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Introduction

This article is concerned with acoustic waves in the
atmosphere. Owing to space constraints, the discus-
sion is limited toaudible acousticwaves (soundwaves).
Hence, two important topics – ultrasound (above
audible) and infrasound (below audible) – are not
discussed. Further, in order to provide a more in-depth
discussion of the effect of the atmospheric boundary
layer on sound waves, some traditional topics such as
ground effects, nonlinear effects, and noise control are
omitted. The interested reader should refer to the
resources cited under Further Reading for information
on aspects of acoustic waves not covered here.

At the atomic level, the Earth’s atmosphere is a
collection of gas molecules, mainly nitrogen and
oxygen, bound to the planet by gravity. The micro-
scopic properties of the atmosphere are thus described
by the kinetic theory of gases and quantummechanics.
In contrast, at the macroscopic level, the atmosphere
can be regarded as a fluid, and, in principle, can be
described by the equations of fluid dynamics. Both
points of view, molecular and fluid dynamical, are
needed to fully understand the generation, propaga-
tion, and absorption of the disturbances in the
atmosphere that are familiar to us as acoustic waves
or ‘sound’.

Unlike wave motion on a stretched string or ripples
on the surface of water, acoustic waves in the atmos-
phere have no direct visual representation. Conse-
quently, one must in general rely heavily on a
mathematical description. It is useful, nevertheless,
to try to connect the mathematical description of
sound with an intuitive, physical picture, even if the
picture is an approximate representation of reality.
Hence, for purposes of visualization, one can sche-
matically represent a planar acoustic wave as shown
in Figure 1. In Figure 1A, regions of compression
(positive pressure relative to the ambient background
pressure) and regions of rarefaction (negative pressure
relative to the ambient background pressure) are
indicated schematically by the density of points.
Closely spaced points represent a compression, and
less closely spaced points represent a rarefaction. The
vertical lines in Figure 1B indicate regions of constant
pressure that are called ‘wavefronts’. The maximum
pressure regions are indicated by solid vertical lines

and the minimum pressure regions by dashed lines.
The horizontal line perpendicular to the wavefronts is
called an acoustic ‘ray’. Acoustic rays are a concise
way to indicate the travel paths taken by acoustic
wavefronts as they propagate through space. In Figure
1C, the regions of compression and rarefaction, often
called the ‘acoustic’ pressure, are shownmoving to the
rightwith a speed c, which for dry air is 331.6m s�1 at
01C. For a compact representation of the pressure
wave, one could, for example, omit the wavefronts
and simply show an acoustic ray moving to the right
with a speed c.

For sinusoidal pressure variations, a planar acoustic
wave can be represented mathematically as p ¼
p0 cosðkx� ot þ yÞ, where p0 is the acoustic
pressure amplitude, and the entire argument of the
cosine is called the ‘phase’ of the wave. The angular
frequency, o, is 2pf , where f is the frequency in cycles
per second or, more commonly, in hertz (Hz). The
wavenumber k is 2p=l, where l is the wavelength
shown in Figure 1C. Since lf ¼ c, the wavenumber
can also be written aso=c. The quantity y is called the

c

c

Acoustic
ray

Wavefronts

��
+p0

−p0

A
co

us
tic

 p
re

ss
ur

e

x

t = 0 t = t1

(A)

(B)

(C)

Figure 1 Visualization of a planar acoustic wave moving to the

right at speed c. (A) Schematic representation of regions of

compression (denser points) and regionsof rarefaction (less dense

points). (B) Wavefronts (regions of constant pressure); maximum

and minimum pressure regions are represented, respectively, by

solid and dashed vertical lines. An acoustic ray is drawn perpen-

dicular to the wavefronts. (C) Pressure variation in space at

two instants of time for a sinusoidal plane wave of the form

p ¼ p0 cosðkx � ot þ yÞ.
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‘phase angle’ and gives the phase of the wave at x ¼ 0
and t ¼ 0.

The compressions and rarefactions in an acoustic
wave cause variations in density and temperature that
also propagatewith thewave. For all three quantities –
pressure, temperature, and density – the acoustic
amplitude is extremely small relative to the ambient
background. For example, p0 might be 0.1 Pa or
approximately one millionth of the nominal atmos-
pheric pressure.

The Acoustic Wave Equation

As noted above, acoustic waves in the atmosphere can
be viewed as small disturbances on an ambient
background fluid, just as water waves are seen as
disturbances on a calm surface. For the extremely
small pressure perturbations typical of sound, the
equations of fluid dynamics can be linearized to arrive
at the ‘acoustic wave equation’, which is the conven-
tional mathematical description of acoustic pressure
waves. In one dimension, the acousticwave equation is
given by eqn [1], where p is the acoustic pressure, x is
distance, and t is time.

q2

qx2
p ¼ 1

c2
q2

qt2
p ½1�

The general solution to eqn [1] is of the form
pðx; tÞ ¼ pRðx� ctÞ þ pLðxþ ctÞ, where pRðx� ctÞ
is a right-going wave and pLðxþ ctÞ is a left-going
wave. The right-going wave, for example, could be a
transmitted pulse, and the left-going wave could be
an echo. Continuous waves as well as pulses satisfy
the wave equation. For example, since c ¼ o=k, the
sinusoidal pressure wave discussed above satisfies the
one-dimensional wave equation. Moreover, as indi-
cated in Figure 2, any function of ðx� ctÞ or ðxþ ctÞ
satisfies eqn [1]. Further, the perturbations in density
and temperature associated with an acoustic pressure
wave satisfy the same wave equation as the acoustic
pressure except that, instead of pressure, the variable is
density or temperature, respectively.

The three-dimensional form of eqn [1] is eqn [2],
where ðx; y; zÞ are Cartesian coordinates.

q2

qx2
þ q2

qy2
þ q2

qz2

 !
p ¼ 1

c2
q2

qt2
p ½2�

For a symmetrical source, such as a small explosion
high above the ground, the three-dimensional wave
equation has spherical symmetry and can bewritten as
eqn [3].

q2

qr2
ðrpÞ ¼ 1

c2
q2

qt2
ðrpÞ ½3�

Here r ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
x2 þ y2 þ z2

p
. By comparing the form of

eqn [3] with that of eqn [1], one can deduce that the
general solution of eqn [3] is given by eqn [4], inwhich
rref is an arbitrary reference distance, generally taken
to be 1m in the MKS system.

pðx; tÞ ¼ rref
r

� �
pOUTðr� ctÞ þ pINðrþ ctÞ½ � ½4�

The quantities, ðrref=rÞPOUTðr� ctÞ and ðrref=rÞPIN

ðrþ ctÞ are out-going and in-going spherical waves,
respectively. Note that the spherical wave solution has
the same mathematical form as the plane-wave solu-
tion except that the amplitude falls off as 1=r.

For a source far away from boundaries, the acoustic
pressure is givenby anout-goingwave having the same
shape in the time domain as the source function.
For example, for a time-harmonic source, the acoustic
field is a traveling sinusoidal wave of the form
p ¼ ðrref=rÞp0 sinðkr� otÞ, where p0 is the pressure
amplitude at the reference distance. Pictorially, an out-
going spherical wave can be represented as shown in
Figure 3, where pressure maxima and minima of the
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Figure 2 Solutions to the one-dimensional wave equation. The

functionpRðx � ctÞ is a right-going solution and the function

p Lðx þ ctÞ is a left-going solution. The complete solution is the

superposition of the left- and right-going solutions.

Figure 3 Schematic representation of an out-going spherical

wave. The circles are the wavefronts and the straight lines are

acoustic rays. The solid and dashed circles denote, respectively,

wavefronts for maximum and minimum pressure.
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wavefronts are represented, respectively, by solid lines
and dashed lines. The radial lines perpendicular to
wavefront are acoustic rays.

Sound Pressure Levels and Decibels

Acoustic pressure amplitudes encountered in practice
typically vary over several orders of magnitude.
Consequently, it has become conventional to use a
logarithmic scale to describe the amplitudes. For
continuous waves, the amplitude of interest is the
root-mean-square pressure amplitude, prms, and is
referenced to some standard reference pressure pref.
For pulses, some ‘peak’ pressure is often chosen. In
either case, a logarithmic amplitudemeasure called the
‘sound pressure level’ (SPL) is commonly used, defined
by eqn [5].

SPL � 10 log10
p2rms

p2
ref

 !
¼ 20 log10 ðprms=prefÞ ½5�

The pressure of interest is denoted here as the rms
pressure, but could be any pressure, depending on the
application. Although SPL is actually a dimensionless
quantity, one refers to the ‘units’ as decibels (dB),
referenced to a reference pressure, pref. In atmospheric
acoustics, the reference level is usually chosen to be
2� 10�5 Pa or 20mPa, which is the approximate
threshold of hearing. Note that with the above
conventions, the SPL for 20mPa is 0 dB.

The frequency range for audible sound for the
human ear is from approximately 20Hz to approxi-
mately 20 kHz. Typical sound pressure levels for
sounds in the audible range are given in Table 1.

In addition to being used as a measure for absolute
pressure, decibels are also used to describe relative
changes in pressure. For example, if a pressure
amplitude decreases with distance by a factor of 10,
it is conventional to say that, over the distance, the
acoustic pressure has decreased by 20 log10(10)5
20dB. If one pressure amplitude were 100 times
greater than another, one would say the first pressure
was 40 dB greater than the second pressure.

To express in decibels the variation of the rms
pressure, prmsðrÞ, with distance, it is conventional to
define the SPL at r ¼ rref as the ‘source level’ (SL) as in
eqn [6] and to define the decibel decrease in acoustic
pressure with distance as the ‘transmission loss’ (TL)
as in eqn [7].

SL � 20 log10
prmsðrrefÞ

pref

� �
½6�

TL � �20 log10
prmsðrÞ
prmsðrrefÞ
� �

½7�

In these equations, as noted previously, the reference
distance, rref, is 1m in the MKS system. (Note that
since pressure usually decreases with distance, trans-
mission loss is usually positive.) Using the above
definitions for source level and transmission loss, one
can write the sound pressure level at a distance r from
the source as SPL5 SL�TL. For example, in MKS
units, the rms pressure amplitude for a spherically
spreading wave can be written as prmsðrÞ ¼ p1=r,
where p1 is the rms pressure at 1m. Thus, for a
spherically spreading wave, the source level is
20 log10 ðp1=prefÞ and the transmission loss is simply
20 log10 ðrÞ.

In general, the transmission loss is not a simple
function and must be computed numerically. With
numerical computations, it is often useful, for plotting
purposes, to subtract the transmission loss due to
spherical spreading, that is, to subtract 20 log10 ðrÞ.
Such a convention is equivalent to giving the sound
pressure level relative to a spherically spreading wave,
and hence is given the name ‘relative sound pressure
level’. Thus, by definition, the relative sound pressure
level for a spherically spreading wave is 0 dB. Ex-
pressed as a relative soundpressure level, an SPLabove
or below that for spherical spreading will be, respec-
tively, greater than or less than zero.

The Speed of Sound in the Atmosphere

To a good approximation, the atmosphere can be
treated as an ideal gas, and the acoustic pressure
variations in it can be treated as adiabatic; that is, there
is no heat flow from the higher pressure (hotter)
regions to the lower pressure (cooler) regions. For an
ideal gas and adiabatic compression (or rarefaction),
the speed of sound is given by c ¼ ffiffiffiffiffiffiffiffiffiffi

gRT
p

, where g ¼
1:40 is the ratio of the constant-volume specific heat
for air, cV , to the constant-pressure specific heat, cP.
The quantity, R ¼ 286:69 J kg�1 K�1, is the gas con-
stant for dry air, andT is the absolute temperature (K).
With an ideal gas model, the theoretical value for c at
01C (273.16K) is 331.1m s� 1, which is in excellent

Table 1 Representative list of audible sound pressure levels

Sound SPL

Threshold of hearing 0 dB

Leaves rustling 20 dB

Quiet conversation 40 dB

Normal conversation 60 dB

Average street traffic 80 dB

Diesel truck (at 10m) 90 dB

Jet take-off (at 10m) 120 dB

Threshold of pain 140 dB
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agreementwith the experimental value of 331.6m s�1

given earlier. For values of T not far from 01C, the
square root expression for the speed of sound can be
expanded linearly and written approximately as
c ¼ ð331þ 0:6TCÞms�1, whereTC is the temperature
in degrees Celsius. Thus, for an increase in tempera-
ture of one degreeCelsius, the speed of sound increases
by 0.6m s� 1.

Absorption of Sound in the
Atmosphere

In addition to the decrease in pressure amplitude of an
acoustic wave due to propagation effects such as
‘geometrical’spreading (e. g., spherical spreading), the
amplitude is also reduced by atmospheric absorption.
A sound wave propagating through ‘clean’ air (no
solid particles) is attenuated owing to two basic
mechanisms:

� classical losses due to momentum transfer across a
velocity gradient (viscosity) and heat flow across a
temperature gradient

� Quantum-mechanical losses due to relaxation pro-
cesses, mainly relaxation of rotational and vibra-
tional states in nitrogen and oxygen molecules.

For both mechanisms, the effects of absorption can be
represented by an absorption coefficient, a, which has
units of m�1. The absorption coefficient enters via an
exponential, so that the pressure is given by
p ¼ p0e

�as, where p0 is the unattenuated pressure
amplitude and s is the distance the wave has traveled.
To indicate the choice of the Napierian base, e,
the attenuation coefficient is, by convention, said
to have units of nepersm� 1. The corresponding
attenuation coefficient, a, for decibels (base 10) is
a ¼ 20a log10 ðeÞ ¼ 8:686a, and, by convention, has
units of dBm� 1.

Experimental and theoretical studies indicate that
the total absorption coefficient can be represented as a
sum of absorption coefficients, with each distinct
physical process having its own unique coefficient.
That is, the total absorption coefficient, aT, can be
written as aT ¼Pi ai, where ai is the absorption
coefficient associated with a particular mechanism.
For example, the component of sound absorption due
to viscosity is given by eqn [8], in which o is the
angular frequency, c is the speed of sound, r0 is the
density of air, and m is the coefficient of viscosity of air.

aVIS ¼ o2

2r0c3
4m
3

½8�

Since the compressed regions in an acoustic wave
are slightly hotter than the ambient temperature, and

the expanded regions are slightly cooler, a small
amount of heat flows from the compressions to the
rarefactions. The conduction of heat converts the
organizedmotion associatedwith the soundwave into
random thermal motion of the gas molecules. Because
the heat flow lowers the temperature of the compres-
sions and raises the temperature of the rarefactions,
both the pressure maxima and minima are reduced.
The reduction manifests itself as a decay of the
acoustic wave with distance. The component of
absorption due to thermal conduction is given by
eqn [9], where k is the coefficient of thermal conduc-
tivity in J (kgmol)�1 K� 1 kgm� 1 s� 1.

aTH ¼ o2

2r0c3
g� 1ð Þ k

gcV
½9�

In addition to energy loss due to classical mecha-
nisms (viscosity and heat conduction), energy can also
be lost via quantum-mechanical ‘relaxation’ processes
involving the internal degrees of freedom (rotationand
vibration) of oxygen and nitrogen molecules. The
transfer of translational energy to internal degrees of
freedom and back takes place through an extended
sequence of molecular collisions, so there is a time
delay associated with the energy transfer. Because of
the time delay, relaxation processes cause energy to be
lost from the organized translational motion that
constitutes the acoustic wave. As a result, just as with
the classical mechanisms, the pressure amplitude of
the wave decreases as the wave propagates.

For any particular relaxation process, the associated
absorption coefficient has the general formof eqn [10].

a ¼ psv
c

f 2=fr

1þ ðf=frÞ2
½10�

In eqn [10], sv is the relaxation strength (in nepers), c is
the sound speed, f is the frequency, and fr is called the
‘relaxation’ frequency. The relaxation frequency is the
frequency for maximum absorption and is roughly
the reciprocal of the characteristic time delay for the
transfer between kinetic energy and internal energy of
the gas molecules.

For air, there are three important relaxation pro-
cesses: (1) O2 vibration, (2) N2 vibration, and (3) N2

rotation. The relaxation frequency for N2 rotational
relaxation is very high, so that, below 10MHz, the
denominator in eqn [10] is approximately unity. Thus,
N2 rotational relaxation varies as f 2 and can be
combined with the classical absorption coefficient. If
one denotes the classical-plus-rotational absorption
coefficient (i.e., the coefficient for viscosity, heat flow,
and N2 rotation) as aC, the absorption coefficient for
O2 vibration as aO, and the absorption coefficient for
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N2 vibration as aN, then the total absorption coeffi-
cient, aT for air can be written as eqn [11].

aT ¼ aC þ aO þ aN ½11�
Figure 4 shows the total absorption coefficient, aT,
together with the components, aC, aO, and aN. Note
that below about 10 000Hz the absorption is domi-
nated by vibrational relaxation. Further, note that,
above about 1000Hz, atmospheric absorption is
significant for propagation distances of a kilometer
or more, which accounts for the lack of long-range
propagation of high-frequency sound.

Refraction of Sound in the Atmosphere

The sphericalwavefronts and associated rays shown in
Figure 3 represent acoustic waves radiating from a

point source in an atmosphere with a constant
temperature, and hence a constant sound speed.
With a constant sound speed, acoustic ray trajectories
are straight lines. In reality, however, the atmospheric
temperature is never constant in space or time.
Consequently, the speed of sound is not constant but
varies spatially and temporally. In a typical daytime
situation, the temporally averaged temperature is
independent of range but decreaseswith height (‘lapse’
condition). Thus, on average, the sound speed de-
creases with height, and sound rays curve upward, as
shown inFigure 5. The raypaths shownare for a sound
speed that decreases linearly with height. (For the
simple case of linear variation, the ray paths are arcs of
circles.)

For a general sound speed variation in a stratified
atmosphere (i.e., no horizontal variation), ray paths
are governed mathematically by Snell’s law, which
states that the quantity cðzÞ= cos yðzÞ is invariant,
where at a height z, the quantities, cðzÞ and cos yðzÞ
are, respectively, the sound speed and the cosine of the
angle of a ray with respect to horizontal. Thus, Snell’s
law says that, if cðzÞ decreases with height, cos yðzÞ
must increase, so that the ray bends upward. In
general, acoustic rays bend toward regions of lower
sound speed and away from regions of higher sound
speed. The bending of acoustic rays is given the name
‘refraction’.

The physical basis for refraction can be understood
using the situation in Figure 5. Consider a small
section of wavefront associated with a ray that leaves
the source nearly parallel to the ground. For a small
enough section, the wavefront is nearly planar and
nearly vertical. Since the sound speed decreases with
height, the lower portion of the wavefront travels
faster than the upper portion, causing thewavefront to
turn upward. In terms of rays, we would say that the
ray is refracted upward due to the decrease in the
sound speed with height.

Refraction of acoustic waves is caused by spatially
varying wind as well as by spatially varying temper-
ature. The effect of the wind on acoustic waves can be
accounted for approximately by defining an ‘effective’
sound speed, ce, which is the previously defined
‘adiabatic’ sound speed, ca ¼

ffiffiffiffiffiffiffiffiffiffi
gRT

p
, plus the compo-

nent of the vectorwind in the directionof propagation.
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Figure 4 Components and general behavior of the total absorp-

tion coefficient for air. The contributions to the total absorption ðT Þ
are the classical plus N2 rotation ðCÞ, the O2 vibration ðOÞ and the

N2 vibration ðNÞ. (Reproduced with permission from Bass (1991),

VCH Publishers, Inc., Weinheim, Germany.)

S

Shadow

Figure 5 Acoustic rays and shadow zones for an upward-refracting daytime atmosphere. For clarity, rays that are reflected off the

ground are not shown. (Reproduced with permission from Bass (1991). (VCH Publishers, Inc., Weinheim, Germany.)
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For example, let r̂r be a unit vector pointing from the
source to a receiver. Then, if the vectorwind is denoted
as v � ðvx; vy; vzÞ, the effective sound speed is given by
ce ¼ ca þ r̂r . v, where r̂r . v is the component of the
vector wind in the direction of sound propagation. In
general, near the ground, the horizontal wind speed
increases with increasing height. For upwind propa-
gation of sound, therefore, the horizontal wind pro-
gressively reduces the effective sound speed with
increasing height. For downwind propagation, the
effect is reversed. That is, the horizontal wind
progressively increases the effective sound speed
with increasing height. In the daytime, for example,
where the temperature and adiabatic sound speed
decrease with height, upwind propagation adds to the
upward refraction already present. Downwind, if the
wind speed gradient is sufficiently large, the horizontal
wind can overcome the upward refraction due to the
daytime temperature profile and lead to downward
refraction. The ray paths for upwind and downwind
propagation are illustrated in Figure 6. For propaga-
tion directly across the wind, there is little effect due to
thewind, but upward refraction persists because of the
decreasing temperature with height.

As indicated in Figures 5 and 6, for up-
ward refraction, there is a region, called an acoustic
‘shadow’, where no acoustic rays can penetrate. In the
shadow region, the acoustic levels are much lower

than the sound pressure level one would expect with
spherical spreading alone. Because of upward refrac-
tion, daytime sound pressure levels for a near-ground
source fall off dramatically with horizontal distance as
one enters the shadow region, which, for strong
upward refraction, can be within 100–200m of the
source.

At night, in contrast to the daytime situation,
ground-to-ground propagation is very good. Owing
to radiative cooling of the ground, both the near-
ground air temperature and the sound speed are lower
than at higher altitudes (an ‘inversion’ condition). As a
result, acoustic rays launched near to horizontal (less
than about 101 with respect to horizontal) are bent
downward, causing sound to be trapped in a ‘sound
duct’ near the ground. Rays launched at steeper angles
escape the duct and continue upward (see Figure 7).
With strong trapping and small ground-bounce loss
(e.g., over water) the acoustic field in the near-surface
sound duct undergoes approximately cylindrical
spreading ð1= ffiffi

r
p Þ instead of spherical spreading ð1=rÞ.

As a consequence of daytime upward refraction and
nighttime downward refraction, noise sources that are
not generally heard during the day can often be easily
heard at long distances (e.g., several kilometers) at
night. The long-range propagation of acoustic waves
at night makes noise control much more difficult than
during the day.

v

S

Shadow

Figure6 Acoustic raysandshadowzone for anatmosphere that is upward-refracting in theupwinddirectionanddownward-refracting in

the downwind direction. For clarity, rays that are reflected off the ground are not shown. (Reproduced with permission from Bass (1991),

VCH Publishers, Inc., Weinheim, Germany.)

S

Figure 7 Acoustic rays for a downward-refracting nighttime atmosphere. Rays launched at small angles with respect to the horizontal

(less than about 101) are trapped in a ‘sound duct’ near the ground and can propagate to ranges of several kilometers. For steeper launch

angles, the rays escape the duct and continue upward.
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Diffraction of Acoustic Waves
in the Atmosphere

As discussed above, one can approximately represent
an acoustic field in terms of wavefronts whose
propagation directions (i.e., rays) are governed by
refraction. Such a representation is useful visually and
can be valid computationally when the acoustic
wavelengths are much smaller than the smallest
sound-speed structure in the atmosphere. The main
effect left out in the so-called ‘ray theory’ of sound
propagation is the wave phenomenon known as
‘diffraction’. Diffraction is responsible for the well-
known ability of sound to ‘bend’ around corners and
obstacles. In outdoor sound propagation, diffraction
fills in gaps in the acoustic field that would be present
in a purely ray-based representation. Full-wave solu-
tions to the wave equation (usually numerical) auto-
matically include both diffraction and refraction.

Because of diffraction, every acoustic field has an
intrinsic smallest possible scale length that is roughly a
quarter of the smallest wavelength present in the field.
Owing to the scale limitation, there can be no sharp
edges in the acoustic field. For example, instead of the
sharp shadow boundary obtained with rays (Figures 5
and 6), a smooth, diffuse boundary is obtained when
diffraction is included. Such a situation is illustrated in
Figure 8, which shows a numerical solution of the

wave equation for a 500Hz point source in an
upward-refracting atmosphere. The color plot in the
figure, which is for the relative sound pressure level as
a function of range and height, shows the effects of
both diffraction and refraction. The edge of the
shadow boundary in Figure 8 would become more
diffuse at lower frequencies (longer wavelengths),
until finally, at very low frequencies, the shadow
boundary would not be discernible at the ranges
shown.

When the atmosphere is downward-refracting (e.g.,
at night), the presence of diffraction again causes a
‘blurring’ of the features of the acoustic field, just as
with upward refraction. There are no sharp disconti-
nuities in the structure of the acoustic field. Rather,
because of the finite wavelengths in the acoustic field,
the changes in the field are continuous and smooth, as
shown in Figure 9, which is also for a 500Hz point
source. In general, the longer the acoustic wavelengths
(i.e., the lower the frequency), the smoother the
features of the acoustic field.

In addition to limiting the sharpness of the acoustic
field, diffraction is responsible for the scattering of
acoustic waves from the complex small-scale structure
of the real atmosphere. In a realistic model of the
atmosphere, the instantaneous temperature and vec-
tor wind fields are not smooth but are highly irregular,
containing eddies of all sizes. The eddy sizes of most

140

120

100

80

H
ei

gh
t (

m
)

60

40

20

0

200 400 600 800 1000 1200

Horizontal range (m)

R
el

at
iv

e 
so

un
d 

pr
es

su
re

 le
ve

l (
dB

)

1400 1600 1800 2000

− 70
− 65
− 60
− 55
− 50
− 45
− 40
− 35
− 30
− 25
− 20
− 15
− 10
− 5
0

Figure8 Numerical solution for the soundfield in an upward-refractingdaytimeatmospherewithout turbulence.Owing to diffraction, the

edgeof the shadowboundary is diffuse. The color plot shows the relative soundpressure level as a function of rangeandheight. (Note that

the vertical scale is much less than the horizontal scale, so that the actual propagation angles with respect to the horizontal are much
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concern for audible sound are in the region called the
‘inertial subrange’, which typically begins at a few tens
of meters and goes down to a few millimeters. In the
inertial subrange, the eddy structure is governed by
the well-known Kolmogorov spectrum. As a conse-
quence, at any instant of time, the small-scale spatial
structure of the sound speed field, which depends on
temperature and vector wind, can also be described by
a Kolmogorov spectrum. In the daytime turbulent
boundary layer, for example, the sound speed can be
approximated as a time-independent mean sound
speed, �ccðzÞ, that varies only with height, plus a
fluctuating part, dcðx; y; z; tÞ, that varies with time,
horizontal distance, and height. Hence the total sound
speed, cðx; y; z; tÞ, can be represented as in eqn [12].

cðx; y; z; tÞ ¼ �ccðzÞ þ dcðx; y; z; tÞ ½12�

The quantity �ccðzÞ approximates the slow, large-scale
variations in the sound speed profile and dcðx; y; z; tÞ
describes the rapid, smaller-scale fluctuations.

As noted earlier, the quantity dcðx; y; z; tÞ follows
the same Kolmogorov statistics as do the temperature
and wind fluctuations. At a particular instant of time,
an approximate ‘snapshot’ of the sound-speed fluctu-
ation field, dcðx; y; z; tÞ, can be synthesized by adding
together, with random phase, the wavenumber com-
ponents for a Kolmogorov spectrum. The result of
such a synthesis is shown in two dimensions in Figure
10. Because audible sound has wavelengths compa-
rable in size to small-scale atmospheric structure, it is
scattered in all directions as it propagates through

inertial-subrange eddies. As a consequence of diffrac-
tion, new wavefronts emanate from every eddy, with
the strongest scattering occurring in the near-forward
direction. The diffracted acoustic waves that are
scattered downward act to fill in the shadow region.
An example of this phenomenon is shown inFigure 11,
which was computed numerically using realistic rep-
resentations for �cc and dc.With a realisticmodel for the
sound speed, the predicted mean near-ground levels
(�20 dB to �30 dB relative to spherical spreading) in
the shadow region (0.2–2 km) are in good agreement
with observation. The relative sound pressure level for
a longer-range interval is shown in Figure 12. It is
apparent fromFigure 12 that, evenwith scattering into
the shadow region, daytime levels near the ground are
very low at ranges beyond a few kilometers.

It can be observed in Figures 11 and 12 that the
effects of turbulence are most apparent in the shadow
region, where the sound levels would be extremely
small in the absence of turbulence. Above the daytime
shadow region, in the ‘insonified’ region, the levels are
much higher, so that the effect of scattering from
turbulence is less dramatic, though the effect increases
with increasing distance from the source. Similarly, for
nighttime propagation, in the near-ground acoustic
duct, where the mean levels are high, the effect of
scattering from turbulence is not as dramatic as in the
shadow region above the duct (see Figure 13). Further,
the nocturnal boundary layer, being more stable,
intrinsically has weaker turbulence than the daytime
boundary layer. As a consequence, mean sound levels
at night near the ground are not affected by turbulence
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nearly as much as the near-ground daytime levels. It
should be noted, however, that large-scale nocturnal
phenomena such as flow down a slope and gravity
waves can have a significant effect on sound levels at
night. The effects of such large-scale dynamical
features on sound propagation are the subject of
current research in atmospheric acoustics.

Acoustic Remote Sensing of the
Atmosphere

As illustrated above, the sensitivity of acoustic waves
to atmospheric wind and temperature variations
makes accurate prediction of ground-to-ground sound
propagation a challenging problem. Conversely,
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Figure 10 A two-dimensional ‘snapshot’ of small-scale turbulent fluctuations in the sound-speed field synthesized using a Kolmogorov
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however, that same sensitivity makes sound a remark-
ably valuable probe for remotely sensing the complex
features of the atmospheric boundary layer. The
most widely used acoustic tool for atmospheric
sensing is a pulse-echo probe called a ‘sodar’, after
the more familiar ‘radar’, which is an electromagnetic
pulse-echo device. (Note: Sometimes the name ‘echo-
sonde’ is also used, but that designation is less common
than ‘sodar’.)

The first sodars, which appeared in the early 1970s,
emitted an acoustic pulse in a single vertically pointing
beam as shown in Figure 14. The sodar geometry
shown, with the acoustic source and receiver collo-

cated, is common and is known as a ‘monostatic’
sodar. (A less common geometry has the receiver
separated horizontally from the transmitter and is
called a ‘bistatic’sodar.)When the upward-going pulse
encounters wind and temperature inhomogeneities
produced by turbulence, faint scattered waves are
createdwithin the air itself.Withmonostatic sodar, the
part of the acoustic wave scattered back toward the
ground, the echo, is detected using the same trans-
ducers that produced the probe beam.

Early sodars were used primarily as instruments for
detecting turbulence. The time delay between the
emitted pulse and its echo determined the height of the
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Figure 12 Same as Figure 11 except that the range extends to 10 km. Note that, even with scattering into the shadow region, daytime

sound pressure levels near the ground are very low at ranges beyond a few kilometers.
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turbulence (one-half the time delay times the average
speed of sound), while the strength of the echo was a
measure of the turbulence intensity. The evolving
structure of the atmospheric boundary layer could be
‘mapped’ by plotting the delay time and echo strength
on a vertically moving strip of paper. For example, the
horizontal distance on the strip could be proportional
to the time delay of the echo, and the darkness could be
proportional to the intensity of the echo. With many
repeated pulses, the evolution of the boundary layer
could be followed visually.With its debut in the 1970s,
the sodar immediately provided important insights
into the spatial structure and temporal evolution of the
atmospheric boundary layer. A typical sodar record is
shown in Figure 15. The figure has time moving from
left to right and shows the evolution of boundary layer
structures over a typical diurnal period. The vertical
scale in the figure is 0–500m, and the thin white
vertical streaks are hour markers. Panel (A) shows a
typical daytime record of thermal plumes carried
through the vertical sodar beam. Panel (B) shows the

turbulent boundary layer descending in the late
afternoon and evening as solar heating of the ground
diminishes. The undulations in the latter part of the
record indicate the onset of internal gravity waves.
Panel (C) shows fully developed internal wave activity
after midnight.

In addition to visual displays of boundary layer
structure and dynamics, modern sodars can provide
quantitative measures of wind and temperature. The
so-called ‘Doppler sodar’, for example, which uses
two slant beams in addition to the usual vertically
pointing beam, can map vector wind versus height. A
typical geometry would have a vertical beam, together

Scattering
volume

Incident
beam

Echo

Figure 14 Geometry for a monostatic sodar. An array of

transducers projects a burst of acoustic waves vertically in a

beam. Turbulence-generated inhomogeneities in wind and tem-

perature scatter sound back toward the transmitting transducers,

which act as a directional receiver for the faint echoes received on

the ground. Figure 15 Record from a sodar taken over a diurnal cycle. The

vertical scale is 0–500m, and time increases from left to right. The

vertical white lines are hour markers. (A) Unstable daytime

boundary layer with thermal plumes generated by solar heating

of the ground. (B)Decreasingdaytimeboundary layer followedbya

growing stable nocturnal boundary layer showing evidenceof initial

gravity wave activity. (C) Stable nocturnal boundary layer after

midnight with fully developed internal wave activity. (Reproduced

with permission from Atmospheric acoustics, Encyclopedia

of Applied Physics, vol. 2, VCH Publishers, Inc., Weinheim,

Germany, 1991.)
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with slant beams pointing north and east, respectively,
at 60� above horizontal. Using the Doppler shift
in the echoes (up-shift for winds moving toward
the receiver and down-shift for winds moving away
from the receiver), the three vector components
(up–down, east–west, and north–south), can be meas-
ured as a function of height. Such advances as the
Doppler sodar are due, in large part, to the vast
increase during the past 20 years in the computing
power available with small computers. In addition to
providing greatly increased signal processing power,
small, powerful computers have also made remote
sensing instruments like the Doppler sodar sufficiently
‘user friendly’ that nonexperts can operate them
successfully.

A second important advance in acoustic remote
sensing is the ‘Radio Acoustic Sounding System’, or
RASS, which can provide accurate temperature pro-
files as a function of height. A RASS uses a single
vertically pointing sodar beam together with two
radar beams that converge in the air column over the
sodar. The radar is used in a bistatic geometry with the
transmitter on one side of the sodar and the receiver on
the other side. Using coherent radar backscatter from
the upward-going acoustic beam, the RASS measures
the speed of the acoustic beam as it propagates
upward. After making corrections for the vertical
wind, one can estimate the adiabatic sound speed (a
function of temperature only) as a function of height,
which then yields the temperature as a function of
height. Extensive comparisons between RASS meas-
urements and in situmeasurements have shown that a
RASS provides reliable estimates of temperature at
heights from a few hundred meters to up to several
kilometers.
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Introduction

Although the idea of a climatology of tropospheric
aerosol appears relatively straightforward, practical
implementation of a comprehensive global-scale
climatology turns out to be very difficult; arguably, it
is far fromwell established.Most problems stem from
the inhomogeneous nature and spatial distribution of
the aerosol, combined with sparse and relatively
uncoordinated measurements. Despite this, much is
known about the distribution of aerosol throughout
the troposphere and how it varies seasonally. New
remote-sensing technologies and analysis methodolo-
gies allow detailed observations and global mapping
of some aerosol parameters. Determination of the
global distribution of aerosol intrinsic properties, such
as chemical composition, and the long-term trends of
all aerosol properties remains a major challenge.

An aerosol is a stable suspension of a solid or liquid
in a gas, in this case air. In practical terms, for the
ambient atmosphere this includes particles from
nanometers to tens and sometimes, hundreds of
micrometers in diameter (around 10�9 to 10�4m, or
around five decades in size, and spanning an even
greater range of concentrations). Constituent particles
in the aerosol may be primary, that is, emitted as a
particle, or secondary, being produced from gases in
the atmosphere (by condensation or chemical reaction
of certain species such as dimethyl sulfide (DMS),
sulfur dioxide, and volatile organic compounds). They
may include inorganic, organic, and biological entities
such as spores, pollens, viruses, bacteria, waxes, and

plant debris. Most particles include some water,
although cloud elements are usually excluded from
the description. Aerosol particles have both natural
sources (e.g., wind-blown sea spray, dusts, and
volcanic debris) and anthropogenic sources (such as
smokes, fumes, and exhausts). In some cases, such as
wind-blown dusts from poorly managed agricultural
areas, this distinctionmay be unclear. Inmany regions,
particularly Northern Hemisphere mid-latitudes,
anthropogenic components now frequently dominate
particle number and mass. In general, an aerosol
comprises particles of mixed composition both intern-
ally (i.e., within one particle) and externally (between
particles); this makes aerosol unlike a gas, which is the
same wherever it is measured. Particle lifetimes are
dependent on size and location in the atmosphere.
Typically, lifetimes range fromdays near the surface to
months in the upper troposphere. There are many
sources of particles, ranging from point sources
including volcanoes, fires, and industrial plants,
through to cities, clouds, entire regions, oceans, and
even the atmosphere itself. In general, the spatial and
temporal distribution of aerosol is notably inhomo-
geneous. Substantial changes in aerosol properties can
occur over distances of only a few kilometers
horizontally andmuch less vertically. The atmospheric
aerosol is extremely dynamic, evolving and changing
properties from the point of production until its
ultimate removal by sedimentation or wet processes.
During its lifetime, a particle may amalgamate with
other particles, exchange material through gas-phase
reactions, and most likely pass through a number of
cloud cycles where it is incorporated into cloud
droplets, reappearing in a modified form when the
droplets evaporate.

The troposphere is that part of the atmosphere lying
between the surface and the stratosphere. The name
derives from the Greek tropos for ‘turning’, and this
part of the atmosphere is characterized by air motion
andmixing. Near the poles the troposphere reaches to
about 8 kmaltitude and in the tropics to around 18 km
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altitude. The concept of a well-mixed troposphere is
somewhat misleading though, since many of the
important tropospheric aerosol features are associated
with discrete layers in the atmosphere and the
transport of aerosol in layers, often in large quantities.

Tropospheric aerosols impact on global climate, the
atmospheric environment, and even human health.
Aerosols are a significant component in the global
radiation balance, scattering and absorbing solar
radiation and changing the properties of clouds. Their
climatic effect is of similar magnitude to the green-
house effect of carbon dioxide, but the net effect of
particles is a cooling. Aerosols are important in the
precipitation process: all cloud drops form on aerosol
particles, known as cloud condensation nuclei, and ice
nuclei play a similar role in ice clouds. Aerosols
interact with reactive trace gases (heterogenous
processes) and are implicated in biogeochemical
cycling in the atmosphere, including transport of trace
nutrients such as iron to the world’s oceans and of
wind-generated sea-salt to the land, and playing roles
in the sulfur, nitrogen, and carbon cycles. At the urban
and rural levels they are the dominant cause of
reduction of visibility and add to acidification and
transport significant quantities of chemicals, such as
minerals, sulfate, nitrate, and carbonaceous material.
Some aerosol components are toxic, others are
carcinogenic. Epidemiological studies have shown
significant correlation between various aerosol prop-
erties, including certain mass fractions, and human
mortality and morbidity. Bioaerosol (molds, spores,
pollens, dust mite feces, bacteria and viruses, and
possibly fragments) are implicated in diseases includ-
ing asthma.

Howdoaerosol properties vary across the globe and
as a function of time, location, and altitude in the
atmosphere?These factors are usually studied through
development of a ‘climatology’. Strictly speaking, a
climatology is a statistical description of a defined
system, composed of various elements. These elements
exhibit spatial and temporal variations to which the
climate concept applies. For the global climate, for
example, this would include temperature and rainfall.
The most fundamental elements for the tropospheric
aerosol system are the size-dependent concentration
and aerosol intrinsic properties; the latter properties
are independent of concentration and include chemi-
cal composition, refractive index, and shape. Other
elements or means of descriptions of the aerosol are
also possible, such as light extinction coefficient and
integral mass.

Unfortunately, no single definition of an aerosol
climatology is universally accepted. The definition
above, which describes an ‘observational’ aerosol
climatology, requires comprehensivemeasurements of

the aerosol properties or elements. For tropospheric
aerosol on the global scale, no truly comprehensive
‘observational’ climatology exists for any intrinsic
aerosol property and it may be unachievable in the
foreseeable future. None exists even for properties as
apparently fundamental as total mass or number.
Sufficient reliable data exist for certain aerosol pro-
perties at selected sites or in certain regions for
the development of limited ‘observational’ aerosol
climatologies. Very few records of any aerosol para-
meter are multidecadal, and establishing these
records remains an important task for international
science.

Contrasting with this is a ‘fully modeled’ aerosol
climatology. A comprehensive aerosol model should
be able to distribute precursor material between new
particles and existing particles and generate a full
description of the distribution of mass and intrinsic
aerosol properties, as a function of size, from around
10�9m to 10�4m diameter, giving the three-dimen-
sional spatial distribution of these properties over
time. Aerosol dynamical models and chemical trans-
port models exist but none currently has all these
capabilities.

An intermediate approach, in effect generating a
‘hybrid’ aerosol climatology, has also been used. It
comprises a model, based on an external mixture of
aerosols from a set of generalized sources (e.g.,
biomass burning emissions, mineral dust, and sulfate),
each with a given emissions inventory. Each compo-
nent contributes its own generic properties, such as
descriptions of the size distribution and optical
properties, derived fromavariety of in situ or remotely
sensed measurements.

Data quality is central to all climatologies. Mea-
surements with unknown accuracy or poorly specified
conditions of measurement are ultimately of little or
no value.

In addition to the spatial or temporal variation of
aerosol properties, other useful descriptions include
the amount ofmaterial ormass flux emitted by various
sources. Major aerosol flux contributors include
mineral aerosol, sea-salt, smoke from biomass burn-
ing, anthropogenic emissions (as sulfate and carbo-
naceous material), and secondary aerosol sources
(including natural precursor gases). Table 1 gives
typical estimates of the annual flux of various sources
from the 1970s and 1990s, although the relative
importance for both environmental and climate
impacts is not simply related to these mass fluxes.
Particles in the range 50 nm to 1 mm, for example,
interact strongly with solar radiation and have the
biggest effect on cloud properties. Formineral and sea-
salt aerosol, massive particles with very short lifetimes
complicate the definition of the flux. Flux estimates
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have been evolving since the early 1970s as informa-
tion on aerosol emission rates and the extent of sources
improve.

Spatial and Temporal Distribution of
Particle Properties

Convection and advection control the transport of
atmospheric particles. Most particle sources are near
the surface and concentrations generally decrease by
about two-thirds for each 1 km altitude to about 5 km
over the continents and 2 km over oceans. Above this,
particle mixing ratios are relatively constant with
altitude to near the tropopause. Concentrations of
larger particles increase again in the lower strato-
sphere and total particle concentrations decline.
Tropospheric air enters the stratosphere at low
latitudes, returning to the troposphere, via tropopause
perturbations (folding), polewards of about 301Nand
301 S. This return air carries some stratospheric
particles into the upper troposphere and sedimenta-
tion provides a flux of larger particles into the upper
troposphere at all latitudes. Stratospheric particles can
be identified to about 1–2 km below the tropopause.
Extraterrestrial particle sources are relatively minor.

Very small particles have an altitude profile more
indicative of a distributed source in the upper free
troposphere, and freshly nucleated particles have been
observed in the upper tropospherewhen the integrated
aerosol surface area becomes small. Both features are
consistent with a relatively homogeneous tropo-
spheric aerosol away from major sources, the so-
called tropospheric background. Adding to this are
remnant aerosol from various sources and the many
major enhancements in tropospheric aerosol concen-
tration associated with layer transport, particularly of
mineral dusts, smoke plumes, and anthropogenic
material.

Satellite-based remote sensing methodologies are
very effective for geographically mapping various
measures of aerosol ‘amount’, but the determination
of intrinsic size-dependent properties such as compo-
sition and particle shape require in situ determination.
Consequently, there are far fewer data available for
these properties, and the intercomparability of sam-
pling protocols becomes very important. Geographic
distributions of some species, such as sulfate, have
received considerable attention and, while no really
comprehensive global climatology of intrinsic proper-
ties currently exists, there are a growing number of
national networks addressing the issue of aerosol
composition, including sulfate, nitrate, and carbona-
ceous components.

In the following sections the troposphere is con-
sidered in two altitudes ranges, greater than and less
than 5 km, with emphasis placed on aerosol mass and
number concentration.

Lower Troposphere

The altitude range from the surface to around 5 km
includes the most intensively studied region of the
troposphere through surface networks, mountain top
observatories, and aircraftmeasurements. This part of
the atmosphere is complex, involving the diurnally
varying planetary boundary layer, nocturnal inver-
sions, the marine boundary layer, clouds, and
precipitation. Surface measurements are not always
good indicators of the free troposphere or even the
boundary layer. Measurement networks are also not
uniformly distributed spatially and have widely
different measurement parameters and methodolo-
gies. Remote sensing of column-integrated aerosol
properties from satellites using spectrally resolved,
scattered solar radiation also primarily senses lower-
tropospheric aerosol properties, with roughly equal
contributions from the boundary layer and free
troposphere.

From late in the 19th century, systematic recording
of meteorological observations by ships’ crews
included aerosol phenomena (particularly haze).
Compiled in the 1930s, these represent one of the
most extensive aerosol climatologies of the period and
several decades following. The geographic distribu-
tion and seasonal variation from more than 50 years’
observations show most features evident in today’s
satellite observations. These include Saharan dust
plumes over the Atlantic ocean, the eastern Atlantic
European plume, a North American summer plume in
theNorth Atlantic, spring dust over the north-western
Pacific, a summer plumeover theArabian sea, anddry-
season plumes in north-western Australia and Indo-
nesia. Currently, satellite-based remote measurements

Table 1 Estimated strength of tropospheric aerosol sources

Early 1970s

(Tg/y�1)
1990s

(Tg/y�1)

Natural

Mineral 10–500 1000–3000a

Sea-salt 200–1000 1000–3000a

Volcanic 3–150 15–90

Biogenic 50

Gas to particle 300–2000 200–1300

Extraterrestrial 0.1–50 10

Anthropogenic

Industry, fossil fuel,

carbon, sulfate,

nitrate, organics

100–400 300

Biomass burning 3–150 100–450

aDepends strongly on upper size limit.
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afford themost extensive geographicmappingof those
components of the aerosol that interact appreciably
with visible or near-visible wavelengths, although
surface-based measurements of column-integrated
optical properties afford higher precision and the
stability needed to assess subtle long-term changes.

Examples of dust and smoke distributions are
shown in Figure 1 in a monthly average ‘UV absorp-
tion aerosol index’ from the Total Ozone Mapping
Spectrometer (TOMS), for October 1997. This
demonstrates the extensive smoke plumes from fires
in Indonesia and Brazil as well as some dust over
Africa. Figure 2 shows extensive mineral aerosol from
Africa extending over the Atlantic Ocean during April
2000, aswell as other dust including some over eastern
China. Individual daily mapping, such as for the 1997
Indonesian fires, is also possible, as shown in Figure 3.
High-resolution spectrally resolved measurements of
scattered solar radiation, for example, from NOAA’s
AVHRR (Advanced Very High Resolution Radio-
meter) satellites, also allow detailed mapping of
equivalent column-integrated aerosol light extinction
(optical depth) over ocean regions. The major aerosol
plumes can be seen clearly in maps of the distribution
of optical depth, such as Figure 4.

Particle Mass

As indicated by remote sensing and in situ measure-
ments, aerosol mass concentration varies strongly
with location and time, depending on the proximity to
sources and the effectiveness of dispersal and removal
mechanisms. Particle total mass concentrations range
from around 100 ngm�3 in the upper troposphere to
greater than several hundred mgm�3 in many large

cities in developing countries. Over ocean regions,
concentrations varywith wind speed and proximity to
continental sources, but values down to 10mgm�3 are
observed. Total aerosol mass is measured less exten-
sively than mass in aerosol size ranges associated with
health or climate effects. In some jurisdictions themass
loading of particles with aerodynamic diameter
Dao10mm (PM10) is regulated. Concentrations
of PM10 in many cities in developing regions exceed
100 mgm�3 (24-hour average), but in developed
countries are typically less than 50mgm�3. In more
remote continental regions, such as around the
American Rocky Mountains, PM10 concentrations
are usually less than 10 mgm�3. A seasonal variation in
mass loading is common and is frequently dominated
by local factors, including the seasonal pattern of

Figure 1 TOMS UV-absorbing aerosol index for October 1997.

(Image courtesy NASA.)

Figure 2 TOMS UV-absorbing aerosol index for April 2000.

(Image courtesy NASA.)

Figure 3 TOMS UV-absorbing aerosol index for 26 October

1997, showing Indonesian fire plumes. (Image courtesy NASA.)
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emissions, for example, anthropogenic sources, bio-
mass burning, mineral dusts, changes in convection,
dispersion (wind patterns and thermal structure of the
atmosphere), and removal (precipitation). Other size
fractions such as PM2.5 (mass of particles with
Dao2:5 mm) and particles of submicrometer diameter
are increasingly studied for health and climate
research, but observations currently have much more
limited spatial and temporal cover. Historical long-
term mass data are sparse, requiring the use of proxy
records. Observations of visual haze over the eastern
United States from the 1950s to the 1980s, for
example, show a summertime increase in light-
extinction coefficient but a reduction during winter
over the 1970s and 1980s. Primarily these reflect mass
changes in the 0.1 to 1mm diameter range.

Although it may be feasible to assemble a mean-
ingful global climatology from the diverse urban and
regional networkmeasurements of aerosolmass, none
exists at present. Different regions and subregions
have individual patterns and many developing net-
works will in time allow assessment of trends.

Contributions to the mass from different sources
also vary uniquely. Oceanic sea-salt aerosol produc-
tion, for example, depends strongly on wind speed.
Within the marine boundary layer, sea-salt typically
dominates aerosol mass, although mineral, smoke,
and anthropogenic aerosol can be regionally impor-
tant, as shown in Figures 1–4. Representative sea-
salt aerosol mass concentrations lie in the range
1–50 mgm�3. Concentrations can change rapidly
and strongly with synoptic events, and seasonal
variation is typical with a local winter concentration
maximum. Seasonal amplitude ranges vary from less
than about 1.5:1 (Southern Hemisphere mid-lati-
tudes) to greater than 8:1 (North Atlantic). Surface
observations are the primary source of information on
sea-salt aerosol intrinsic properties. Few, if any,

observational studies have addressed the long-term
change in sea-salt aerosol.

Smoke aerosol loading is also highly variable,
reflecting local seasonal patterns of biomass burning.
Prescribed anduncontrolled fires occur in all vegetated
ecosystems around the globe, although statistics on
burning are relatively poor. Major fire regions include
Africa (101–201 S) (August–October maximum); Bra-
zil (July–September maximum); sporadically through
Indonesia (dry season, typically June–October) and
northern Australia (May–October maximum); and
northern boreal forests, e.g., Siberia/China (spring
maximum, also autumn). Concentrations depend on
the proximity to sources, and effectiveness of dis-
persal, with mass loading exceeding 1mgm�3 near
large fires. Residual black carbon mass loading less
than 5 ngm�3 (comprising roughly 10% of smoke
mass) is frequently observed in well-scavengedmarine
air. Smoke aerosol transported over long distances is
often present inwell-defined layers up to around 5km.
Few long-term measurements of biomass burning
aerosol exist and historic records are sparse. Emissions
have been estimated to have increased 2-fold to 3-fold
over the past century.

Mineral aerosol is also highly regional, and season-
ally dependent. Satellite remote sensing affords daily
measurement and mapping of the spread of aerosol
from individual events. Longer-term records are now
compiled from satellite analyses (e.g., AVHRR,
TOMS) and some historic context can be inferred
from ships’ observations from the late 19th century.
Quantitative measurement of aerosol from in situ
surface sampling has been the primary source of
information on composition, mass loading, lifetime,
and variability. Studies show substantial variability
even during a single day,with concentrations changing
up to several orders of magnitude. The spatial
distribution of mineral aerosol is governed primarily

Figure 4 NOAA AVHRR equivalent aerosol optical thickness, annual composite 1989–1991. (Image courtesy NOAA.)
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by the extent of source regions and climatological
wind patterns. Thus, major dust areas include the
Atlantic Ocean downwind of the Sahara, the western
Pacific downwind of China, and the Arabian Sea.
Northern Hemisphere mineral aerosol fluxes are an
order of magnitude greater than those in the Southern
Hemisphere owing to the locationof active dust source
regions.

As with smoke aerosol, the long-range transport of
mineral aerosol frequently occurs in well-defined
layers in the lower 5 km of the atmosphere. Mineral
aerosol concentrations are strongly dependent on
season and distance from the source regions. Aerosol
from the dust areas in East Asia is observed most
frequently in spring (March–April–May). Lowest
concentrations occur in summer and winter when
dust production and transport mechanisms are unfa-
vorable. In spring, boundary-layer concentration of
mineral aerosol ranges from several hundred mgm�3

near the Chinese coast to values up to about 9 mgm�3

at Mauna Loa (on Hawaii). The central Pacific has a
relatively small mineral aerosol loading, whereas
moderate concentrations of dust from Australian
deserts are observed over the south-western Pacific in
the Austral spring and summer. Saharan and sub-
Saharan mineral aerosol are transported across the
Atlantic,with amaximumoccurrence in June–August,
and observed in bothNorth and South America. Daily
average concentrations of mineral aerosol in excess of
100 mgm�3 have been recorded inMiami andmonthly
mean concentrations in the dust season regularly
exceed 20 mgm�3 in Miami and at Barbados. Con-
centrations in the dust plumes over theAtlanticmay be
as high as 400 mgm�3.

Particle Number

The integral number concentrationwas one of the first
aerosol properties explored in the late 19th century,
with the development by John Aitken of a portable
‘dust counter’. Although essentially the same type of
measurement is used today, systematic long-term
records are a relatively recent phenomenon. Total
particle number concentrations vary from less than
10 cm�3 over the Antarctic Plateau in winter, and
infrequently at mid-latitudes in polar outbreaks, to
around 105 cm�3 in large cities. Concentrations
decrease with altitude, to around 100–200 cm�3 in
the upper troposphere. Over clean southern ocean
regions, concentrations are typically several hundred
cm�3, varying seasonally, with a summer maximum.
The amplitude of the seasonal cycle is latitude
dependent. At southern mid-latitudes, monthly med-
ian concentrations of 100–600 cm�3 are observed, and

a similar range is found on the Antarctic coast, around
50–600 cm�3 atMawson, for example, but the range is
much smaller at the South Pole with a seasonal cycle
around 10–150 cm�3. A smaller range is also found in
the Tropics; for example, at Samoa the monthly mean
particle number ranges from about 200 to 300 cm�3.
Photoxidation of DMS, emitted by marine phyto-
plankton, is considered themajor natural source of the
climatically important submicrometer aerosol par-
ticles over the global oceans.

In north-eastern Atlantic air (e.g., Mace Head,
Ireland) the number concentration in clean air ranges
from about 100 to 700 cm�3 with no seasonal cycle,
although a summer peak is found in methyl sulfonate,
an oxidation product of DMS, the principal natural
precursor. Long-range transport from the United
States may inhibit a winter number concentration
minimum. Closer to major continental source re-
gions, for example, over the north-western Atlantic
and north Pacific, concentrations are more typically
4000–6000 cm�3.

The most widely quoted particle concentrations for
continental sites date to the first half of the 20th
century and may be geographically biased; concentra-
tion values around 104 cm�3 are typical of areas away
from population centers. In truly clean continental
areas (for example, across Australia), particle con-
centrations are more typically around 700 cm�3 in the
boundary layer and around 200 cm�3 above the
boundary layer.

Arctic aerosol and its associated haze have been
studied intensively. Typically a phenomenon of the
lowest 3 km, occasionally up to 5 km, haze events
result from the long-range transport of anthropogenic
aerosol from Eurasia and North America. Particle
numbers (monthly mean) at the surface are typically
50–400 cm�3, occasionally up to 800 cm�3, with
spring and summer maxima, whereas light scattering
(and absorption) peak in spring and winter. Recent
analyses for Barrow, Alaska, indicate a significant
positive trend in particle number (around 8% per year
since 1976) and a decreasing trend in spring light-
scattering coefficients. Natural sulfur sources are
important in summer.

Above the boundary layer, number concentrations
are lower. For example, in Hawaii (Mauna Loa,
3.4 km) monthly mean concentration is typically
260 cm�3; there is a weak seasonal cycle (concentra-
tion range around 1.5:1) with a September maximum.
A trend of 11.7% per year was seen in the 1970s
and 1980s. Similarly, in free tropospheric air over
the European Alps, (JungFrauJoch, 3.6 km), typical
summer concentrations are around 800 cm�3 and
about half of this concentration in winter. Across
eastern Europe, average particle concentrations of
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100–500 cm�3 are typical at 3 km (mid 1900s). Over
the continental United States during the 1980s, at alti-
tudes of 2.5–5 km, number concentrations were typi-
cally 1800 cm�3 in summer, and 700 cm�3 in winter,
with an overall negative trend around 5% per year.

Longer-term measurements usually show interann-
ual variations in concentration. In Southern Hemi-
sphere oceanic regions there is evidence of varia-
tions with decadal time scales, although records
are relatively short (Figure 5). At Cape Grim (411 S
1451E) annual-average particle concentration
increased by an average 1.470.3% per year from
1976 to 1998. Historic records comprising full
seasonal data at regionally representative sites do not
exist. Proxy data, specifically small-ion conductivity,
suggest that number concentrations in the northern
Atlantic may have approximately doubled in the 60
years to 1970. Similar (sparse) records from the south
Pacific suggest little or no change in this period.

Upper Troposphere (>5km)

Compared to the lower 5 km, surprisingly few
systematic long-term studies have addressed the
upper-tropospheric aerosol. Methodologies that
access this region include satellite-based light-extinc-
tion measurement, in situ balloon-borne samplers,
high-altitude aircraft, and various lidar (laser radar)
systems. Thewidest geographic cover is from satellites
such as SAGE-2 (Stratospheric Aerosol and Gas
Experiment), looking at long-path light extinction
(limb-scanning) during sunrise and sunset. These
provide information on extinction coefficients at
1mm and submicrometer wavelengths and indirect
data on particle sizes. Balloon-borne measurements
over more than two decades have produced consistent
in situ particle information in both hemispheres.

Limb-scanning satellite data (from 1984 to 1991)
give an extensive depiction of the upper-tropospheric
aerosol via the light extinction coefficient. The data
have also been used to infer aerosol mass concentra-
tion and effective size in the submicrometer size range.
These extinction data and in situ determinations show
a relatively uniform aerosol between about 5 km
altitude to near the tropopause. In both hemispheres
(201–401) a seasonal cycle is seen in light extinction,
with a maximum in the spring–summer period when
particle size is also maximum. In the Northern
Hemisphere the spring period is characterized by a
maximum in mineral aerosol production and trans-
port. At mid-latitudes in Australia, balloon-borne
measurements show marked increases in particle
concentrations in the entire troposphere during spring,
probably linked to long-range transport of biomass
burning emissions. Enhanced concentrations are also
found over the south-western Pacific during this
season. At southern mid-latitudes in spring, mixing
ratios of submicrometer aerosol are comparable to
those at northern mid-latitudes in summer, represent-
ing an enhancement of more than an order of
magnitude over other periods.

In general, significantly more light extinction and
mass are observed in the Northern Hemisphere,
particularly at mid-latitudes and polewards, and the
seasonal cycle in extinction is about five times greater
in the Northern Hemisphere. AVHRR data indicate
around 50% more column light extinction in the
NorthernHemisphere than the SouthernHemisphere.
Multidecadal measurements of particle size and
number at northern mid-latitudes, made from bal-
loon-borne samplers, also show a spring–summer
peak in an annual cycle of optically active particles,
where concentrations vary by close to an order of
magnitude. For total particle number, the seasonal
variation is smaller, around a factor of 3, with a
summer peak. All of these observations include
quiescent and enhanced conditions; in situ aerosol
backscatter measurements at mid-latitudes from only
quiescent periods indicate relatively little interhemi-
spheric difference.

See also

Aerosols: Observations and Measurements; Physics and
Chemistry of Aerosols; Role in Cloud Physics; Role in
Radiative Transfer. Biogeochemical Cycles: Sulfur
Cycle. Deposition. Dust. Global Change: Biospheric
Impacts and Feedbacks. Lidar: Backscatter. Observa-
tion Platforms: Balloons.Observations for Chemistry
(In Situ): Particles. Satellite Remote Sensing: Aerosol
Measurements. Soot. Tropospheric Chemistry and
Composition: Aerosols/Particles. Volcanoes: Role in
Climate.
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Introduction

Atmospheric aerosols consist of a suspension of solid
or liquid particles in air. These particles range from
molecular clusters less than one nanometer in diam-
eter to pollens, wind-blown soil dust and sea salt of
10mm or larger. Figure 1 shows an idealized atmos-
pheric aerosol size distribution with the characteristic
modes in which particles tend to be found. Homoge-
neous nucleation leads to the clustering of molecules
that grow to particles several nanometers in diameter
at the small endof the spectrum.Aitken or nucleimode
particles in the 10 to 100 nm diameter range often
contain ‘primary’ particles that are directly emitted
into the atmosphere by combustion processes. Accu-
mulation mode particles contain most of the submi-
cronmass.Most of thismass is typically ‘secondary’ in
origin (i.e., formed in the atmosphere by chemical
transformations). Sulfates, nitrates, and organics typ-
ically comprise most of the accumulation mode mass,
and this mass can accumulate in different submodes,
depending on the chemical mechanisms by which they
are formed. Coarse-mode particles tend to be pro-
duced by mechanical processes.

Figures 2A–C show photographs of atmospheric
particles obtained by electron microscopy. The chain-
agglomerate soot particle in Figure 2A is typical of
particles emitted by diesel engines or other combus-
tion sources. Figures 2B and C illustrate particles of
mixed composition. The salt in Figure 2B was prob-

ably emitted directly into the atmosphere as sea spray,
while the sulfate crystals attached to it may have been
produced in the atmosphere by chemical transforma-
tions. The rutile in Figure 2C probably originated as
wind-blown dust and may have accumulated the
sulfate coating as a result of atmospheric processing.
The variabilities in shape and composition illustrated
by the photographs in Figure 2A–C introduce ambig-
uities in aerosol measurements since the responses of
particle measuring instruments depend on such prop-
erties. In addition, particles often contain volatile or

0.001 0.01 0.1 1 10 102

Particle diameter (µm)

Coarse particle
mode

Accumulation
modes

Nuclei or aitken
mode

Nucleation
mode

Figure 1 Idealized atmospheric aerosol size distribution. Parti-

cles tend to be found in modes that reflect the different processes

by which they are formed in the atmosphere by chemical transfor-

mations or are emitted directly into the atmosphere from sources.
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semivolatile species such as water, nitric acid, ammo-
nia, and various organic compounds that are also
present in the gas phase. This adds another challenge
to obtaining accurate measurements, since such spe-
cies undergo continuous exchange between the con-

densed and gas phases, and the gas/particle
distribution can be perturbed during sampling.

This article summarizes the most important meth-
ods for measuring atmospheric aerosols. It first
discusses aerosol sampling and chemical analysis of

Figure 2 Photographs of atmospheric particles obtained by transmission electron microscopy. (A) Chain agglomerate soot particle.

(B)Sulfate attached to a sodiumchlorideparticle. (C)Mineral dust particle coatedwith sulfate. (Reproducedwith permission.AandC from

Buseck PR, Jacob DJ, Posfai M, Li J, and Anderson JR (2000) Minerals in the air: an environmental perspective. International Geology

Review 42, 577–593,rV.H.Winston & Son, Inc. 360 South Ocean Boulevard, Palm Beach, FL 33480, USA. All rights reserved.; B from

Buseck PR and Posfai M (1999) Airborne minerals and related aerosol particles: effects on climate and the environment. Proceedings of

the National Academy of Sciences of the United States of America 96: 3372–3379.r 1999, National Academy of Sciences, USA.)
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aerosol, then concludes withmethods used tomeasure
physical properties of particles such as particle size and
number concentration. Throughout, discussion focus-
es on in situ particle measurements; a great deal of
valuable information on global distributions of aero-
sols has been obtained with satellites, but such
measurements are not discussed here (see Satellite
Remote Sensing: Aerosol Measurements).

Sampling

Accurate aerosol measurements require the collection
of a representative sample. Obtaining representative
samples of particles smaller than 1 mm is usually not
too difficult. Under typical sampling conditions par-
ticles in this size range travel with the gas. Difficulties
may be encountered with particles smaller than about
10 nm in diameter since, because of their high
diffusivities, they can be lost on the walls of sampling
tubes during transport to the detector. It is usually
possible to design sampling systems that minimize this
effect.

Supermicron particles are difficult to sample. Such
particles have so much inertia that they tend not to
follow the gas flow as it enters the sampler. Figure 3
shows trajectories of large particles as they are drawn
into an aerosol sampler. When the wind speed exceeds
the velocity of the air flow into the sampling tube
(subisokinetic sampling), the sampled concentration

exceeds the true ambient concentration (Figure 3A),
while the reverse is true when the wind speed is less
than the sampling speed (superisokinetic sampling;
Figure 3B). An ideal isokinetic sampler is aligned with
the wind and draws in air at a speed equal to the wind
speed. In practice, wind speeds and directions vary, so
achieving this ideal with samplers at a fixed location is
impractical.

It might appear that an aircraft would provide an
ideal platform for sampling coarse particles. Isokinetic
sampling would be achieved automatically if the
sampler pointed straight ahead and sampled at a
velocity equal to the aircraft velocity. Unfortunately,
this is not the case. Even if the probe sampling velocity
equals the aircraft speed, variations in the aircraft
orientation lead to misalignment between the probe
and the sampled airstream, and the high sampling
velocities required lead to turbulent deposition of
particles within the sampling probe. Thus, it can be
difficult to transport particles through the probe to the
measuring instrumentation. The design of aircraft
sampling inlets that deliver a known fraction of larger
particles is a current area of research.

Omnidirectional sampling inlets are typically used
for fixed-point sampling. Such inlets draw aerosol
from all directions through a horizontal annular
opening. Sampling efficiencies for omnidirectional
inlets are independent ofwind speed, and canbenearly
100% for particles up to 10 mm.

In summary, obtaining representative aerosol sam-
ples for particles smaller than a few micrometers in
diameter is usually straightforward. Obtaining repre-
sentative samples for particles larger than this is
difficult since, owing to their inertia, large particles
tend not to follow air as it flows into a sampler.

Sample Collection and Analysis:
Filters and Impactors

Filters are the device most commonly used for
collecting particles for analysis. Samples are collected
by removing particles fromaknown volumeof air, and
are analyzed for particulate mass or species concen-
trations. Electronmicrographs of several types of filter
media commonly used to sample atmospheric parti-
cles are shown in Figure 4A–C. All of these media
contain passages through which the gas flows and
solid substrates on which particles are collected.

Filters collect particles by three different mecha-
nisms, as illustrated in Figure 5. Very small
particles (diameter less than about 0.1 mm) are col-
lected by diffusion, and because diffusivities increase
with decreasing size, particle collection efficien-
cies increase with decreasing size. Large particles

Superisokinetic sampling

Subisokinetic sampling

(A)

(B)

Figure 3 Trajectories of large particles as they are drawn into an

aerosol sampling probe. (A) Subisokinetic sampling occurs when

the velocity of the sampled aerosol at the probe entrance is less

than the velocity of the wind relative to the probe. In this case the

concentration of ‘large’ particles in the sampled aerosol is higher

than the ambient concentration. (B) For superisokinetic sampling,

the sampled concentration is less than the true concentration.
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(diameter >�1mm) are collected when, due to their
inertia, they are unable to follow the gas as it flows
around a solid surface (e.g., a fiber) and impact on the
fiber. Because inertia increases with increasing particle
size, filter collection efficiencies increase with size in
this range. Intermediate-sized particles are collected
by interception when the gas flow carries them to
within one particle radius of the filter medium. Note
that ‘sieving’ is not a significant particle collection
mechanism for air particle filters; as can be seen in
Figure 4, the dimensions of the air passages through

the filter are typically much larger than the sizes of the
collected particles. All filters have a ‘most penetrating
size’ that falls typically in the 0.05 to 0.3 mm diameter
range, where particle collection by diffusion, inter-
ception, and impaction reaches a minimum. For filters
typically used for air filtration, however, collection
efficiencies even at this size usually exceed 99%.
Therefore, it is generally reasonable to assume that all
particles delivered to the filter are collected. Filters are
typically operated downstream of an inlet that re-
moves all particles larger than a specified size.

Figure 4 Electron micrographs of several types of filter media commonly used to sample atmospheric particles. The filter media

illustrated in these figures include (A) a 3.0 mm Teflon membrane filter, (B) a glass fiber filter, and (C) a 1.0mm polycarbonate membrane

nuclepore filter. (Courtesy of ProfessorBenjaminY.H. Liu, Department ofMechanical Engineering,University ofMinnesota,Minneapolis,

MN.)
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Substantial effort has been made to develop diffu-
sion denuder filter samplers for measuring the gas and
particle phase concentrations of semivolatile species.
The design of such samplers for inorganic species
including ammonium nitrate is well developed, and

work is underway to extend this methodology to
various organic compounds. Sampling such com-
pounds presents a challenge because they can volatil-
ize from the filter during sampling, thereby leading to
an underestimate of the particle-borne concentration.
A schematic of a diffusion denuder sampler is shown in
Figure 6. The aerosol is first drawn through an annular
denuder, the walls of which are coatedwith a chemical
that reacts readily with the gas to be removed. Basic
compounds such as sodium carbonate are often used
to remove acidic gases such as sulfur dioxide and nitric
acid, and acidic compounds such as citric acid are used
for ammonia. Owing to their high diffusivities, gases
diffuse to the coated walls and are removed with
nearly 100%efficiency. Particle diffusivities are orders
of magnitude lower than those for gases, so particles
pass through the denuders to a filter where they are
collected with nearly 100% efficiency. Volatilization
from the collected particles occurs during sampling,
and a suitable collector is located downstream of the
filter to collect these volatilized compounds. For
example, nylon filters are known to collect nitric
acid vapor with nearly 100% efficiency, and porous

Interception
Diffusion

Impaction

Figure 5 Filters collect particles by three different mechanisms.

Diffusion is primarily responsible for the collection of particles

smaller than about 0.1mm. Inertial impaction, which causes

particles to cross air streamlines and deposit on the filter substrate,

is responsible for the collection of particles larger than about 1 mm.

Interception, which occurs when the air streamline brings a particle

to within one particle radius of a filter substrate, is important for

particles in the intermediate size range.

Coated filters:
Na2 CO3
Citric acid
Teflon filter

Citric acid 
coating

Na2CO3
coating

NO2, HNO3

NO2, HNO2, NHO3, SO2

HNO3, SO2

NH3

NH3

NaCI
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for particles
and gases that
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acidic gases
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+
, SO4
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−

Impactor to remove
particles >2.5 µm
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Figure 6 Schematic of a diffusion denuder sampler for collecting the gas and particle phases of semivolatile compounds.
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polyurethane foam is used to collect certain organic
vapors. The particle phase concentration of the
semivolatile compound is found by adding the load-
ings collected by the filter and the downstream
adsorber. Several different approaches are used to
measure the gas phase concentration. In some cases the
collected gas can be extracted from the diffusion
denuder and analyzed directly. Alternatively, two
samplers can be operated in parallel, one with a
diffusion denuder and one without. The sampler
without the diffusion denuder collects the total gas-
plus-particle concentration. The gas phase is then
determined by difference.

Cascade impactors are used to collect size-segregat-
ed samples for subsequent analysis. A schematic
diagram of a cascade impactor is shown in Figure 7.
The aerosol is first accelerated through a large nozzle
towards a collection substrate that deflects the air and
collects the largest particles by inertia. The aerosol is
then transported to a stage with a slightly smaller
nozzle that collects smaller particles due to the higher
speed of the gas through the nozzle. Impactors can
provide a very sharp size separation down to sizes as
small as 10 nm.Measurements of solid particles can be
adversely affected by bounce, which can be reduced by
greasing the collection substrates. A limitation of
impactors is that no strategy has been developed to
measure evaporative losses of semivolatile compounds
from the individual impactor stages.

Virtual impactors replace the collection substrate
with a receiving tube that draws a small fraction of the
flowand intowhich all particles larger than the cut size
are projected. Virtual impactors avoid bounce and use
conventional filter substrates, but have the disadvan-
tages that they cannot be designed with cut points that
are as sharp or as small as can be achieved with
conventional impactors. Cascade impactors segregate
particles according to aerodynamic diameter, which
depends on shape, physical size, and particle density.
Samples collected with filters or impactors are typi-
cally analyzed to determine particulatemass or species
concentrations.Table 1 provides a summary of typical
minimum detection limits that can be achieved by
commonly used analytical methods.

Real-Time, In -Situ Analysis of Aerosol
Chemical Properties

Filtrationwith subsequent analysis in the laboratory is
by far the most commonly used approach for deter-
mining the composition of atmospheric aerosols.
Considerable progress has been made in the last few
years, however, on techniques that provide real-time
information on aerosol composition. For example,

particles can be collected directly in liquid water and
analyzed by ion chromatography to determine concen-
trations of major aqueous ions, including sulfate,
nitrate, ammonium, chloride, etc. When employing
denuders these methods can also be used to measure
gas phase concentrations of semivolatile compounds.
Other approaches involve collecting particles by im-
paction on a substrate from which they can be volati-
lized by rapid heating and analyzed by a conventional
gas analyzer. These semicontinuous samplers provide
species concentrations with a time resolution down to
3min and show that aerosol concentrations often vary
significantly over time scales required forfilter samples.

A tremendously exciting new development in aero-
sol measurement involves the use of mass spectrome-
try to measure the composition of individual particles
in real time. Particles are drawn through an inlet into a

Figure 7 Schematic diagram of a cascade impactor. These

instruments separate particles into several different size fractions

for subsequent measurement of size-resolved mass or species

concentrations.
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low-pressure chamber where they are volatilized and
ionized by a high-intensity laser pulse. The ions are
analyzed by time-of-flight mass spectrometry to de-
termine particle composition. A schematic diagram of

one such instrument is shown in Figure 8. It is not yet
clear that instruments of this type will be able to
provide quantitative information on species mass
concentrations. They do, however, provide rich new

Table 1 Typical minimum detection limits (three times standard deviation of blank) for selected elements and species measured by

various techniques (ngm�3)

Species Electronic balance INAA XRF PIXE Flame AAS Graphite

furnace

AAS

ICP AC IC TOR

Mass 900

Cl� 50

NH4
1 50

NO3
� 50

SO4
2� 50

EC 100

OC 100

Al 24 5 12 30 0.01 20

Ca 94 2 4 1 0.05 0.04

Cd 4 6 1 0.003 0.4

Cl 5 5 8

Fe 4 0.7 2 4 0.02 0.5

Hg 1 500 21 26

K 24 3 5 2 0.02

Mg 300 20 0.3 0.004 0.02

Pb 1 3 10 0.05 10

S 6000 2 8 10

Abbreviations: INAA– instrumental neutronactivationanalysis; XRF–X-ray fluorescenceanalysis; PIXE–proton inducedX-rayanalysis;

AAS – atomic absorption spectrophotometry; ICP – inductively coupled plasma emission spectroscopy; AC – automated colorimetry;

IC – ion chromatography; TOR – thermal/optical reflectance analysis.

Reproducedwith permission fromChowJC (1995)Measurementmethods to determine compliancewith ambient air quality standards for

suspended particles. Journal of the Air and Waste Management Association 45: 320–382.

Figure 8 Schematic diagram of a mass spectrometer for determining the composition of individual aerosol particles. Particle size is

determined bymeasuring particle velocity in the particle sizing region of the instrument. Size depends on velocity because large particles,

owing to their inertia, are not accelerated as rapidly as small particles as they flow from theaerosol inlet into the low-pressure regionsof the

instrument. Particle composition is determined by using time-of-flight mass spectrometry to measure the mass spectra of ions produced

when the particles are volatilized by a high intensity pulsed laser. (Courtesy of TSI, Inc.)
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insights into the origins of various particle types and
also provide insights into chemical transformations
that occur on and within particles in the atmosphere.
For example, Figure 9 illustrates the type of informa-
tion that can be obtained from such measurements. In
this study nearly half of the elements in the periodic
table were detected in particles sampled from an
aircraft between 5 and 19 km altitude.

Measurement of Physical Properties

Instrumentation for measuring aerosol physical prop-
erties can be divided into two major categories: those
used tomeasure a single overall property of the aerosol
and those used to measure aerosol size distributions.

Examples of overall properties (also referred to as
integral properties) are the total number concentra-
tion of particles of all sizes or the total amount of light
scattered by particles of all sizes. Instruments that
measure integral properties are often easy to operate
and provide data that are straightforward to interpret.
A limitation of such measurements is that they cannot
be used in a simple way to determine other aerosol
properties. In principle, a detailed and accurate
measurement of the aerosol size distribution can be
used to determine any integral property of the aerosol.
Such data, however, are difficult to acquire and
analyze and are subject to uncertainties owing to the
dependence of instrument response on aerosol prop-
erties including shape, density, and refractive index,
which are often not known precisely.

Figure9 Elements detectedby individual particlemass spectrometry at altitudesbetween5 and19 km.Almost every particlewas found

to contain some H, C, O, N, and S. It was concluded that in this study about half of the particles measured in the stratosphere were of

meteoric origin. Theseparticles containedNa,Mg,Al, K,Ca,Cr, Fe, andNi. (Reproducedwith permission fromMurphyDM,ThomsonDS,

andMahoneyMJ (1998) In situmeasurements of organics, meteoritic, and other elements in aerosols at 5 to 19 kilometers.Science 282:

1664–1669. r 1998, American Association for the Advancement of Science.)
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Measurements of Integral Properties

Condensationparticle counters (CPCs) havebeenused
since John Aitken invented them in the late 1800s to
measure total concentrations of aerosol particles.
(CPCs are also referred to as condensation nuclei
counters (CNCs) and Aitken nuclei counters.) They
function by exposing particles to a supersaturated
vaporwhich causes them to growby condensation to a
size greater than 1mm,which can easily be detected by
light scattering. Concentrations are then determined
either by counting the pulses of light scattered by
individual droplets as they flow through the scattering
volume of an optical detector (Figure 10) or from the
light attenuation or scattering produced by the cloud
of droplets following condensation (Figure 11). An
advantage of the single particle counting instruments
is that concentrations are determined directly from the
counting rate and the aerosol flow rate through the
detector; no empirical calibration is required. The
optical attenuation or scattering methods require an
empirical calibration to determine the relationship
between attenuation and concentration. The largest
particle size that can be detected by a CPC is
determined by transport into the condenser: because
of their inertia, particles bigger than a few microme-
ters in diameter tend to be lost as they flow into the
instrument. CPCs have been designed that detect
particles as small as 3 nm, although a minimum
detectable size of 5 to 10 nm is more typical. Recent
work has shown that gaseous ions (i.e., molecules or

molecular clusters that carry an elementary charge)
smaller than 1 nm can be detected with a CPC.

Another aerosol integral property of considerable
interest is the total amount of light scattered by
particles. Light scattering is responsible for the hazy
appearance of air in polluted regions (Figure 12) and is
themost sensitive indicator of air pollution.Gases also
scatter light by a process referred to as Rayleigh
scattering. Rayleigh scattering is responsible for the
blue color of the sky, and in a particle-free atmosphere
would limit visibilities to about 300 kmat sea level.On
a per unit mass basis, however, particles are orders of
magnitude more effective than gases at scattering
light, and light scattering efficiency (the amount of
light scattered per unit mass) reaches a maximum for
particles between 0.1 and 1 mmwhere most secondary
pollutant particles accumulate (Figure 13). This jux-
taposition of light scattering efficiencies with the peak
in the accumulation mode mass distribution (see
Figure 1) causes light scattering to be themost sensitive
indicator of polluted air. Integrating nephelometers
are used tomeasure the total amount of light scattered
by aerosol particles. The response of integrating
nephelometers depends on the frequency distribution
of the illuminating radiation, on the frequency re-
sponse of the optical detector, and on the solid angle
over which light scattering is collected.

Current air quality standards for particulate matter
are based mostly on the total mass concentration of
particles smaller than a specified size. For example,
since 1987 the ‘PM10’ National Ambient Air Quality

Figure 10 Continuous flow condensation particle counter (CPC). The aerosol is saturated with a vapor (butanol is commonly used)

before it flows through a cooled cylindrical tube where the vapor becomes supersaturated and condenses on particles, causing them to

grow to a size that is easily detected by light scattering. (Courtesy of TSI, Inc.)
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Standard for particulate matter in the United States
has stipulated that mass concentrations of particles
smaller than 10mm aerodynamic diameter cannot
exceed 75 mgm�3 on an annual basis or 260 mgm�3 for
24 hours. The usual approach for measuring such
mass concentrations is to determine the change in the

mass of a filter that has removed particles from a
known volume of air. Sampling times ranging from
hours to a day or more are typically required for such
gravimetric analyses, so such measurements provide
no information on variabilities inmass concentrations
that occur during the sampling period. Furthermore,

Figure 11 Schematic diagram of theModel 1957 Pollak expansion-type condensation nucleus counter, a classic instrument of its type.

An aerosol sample is drawn into the cylindrical chamber and brought with the pump to a pressure 1.21 times local atmospheric pressure.

After allowing about 45 s for the aerosol to become saturated with water vapor from the wetted walls, the release valve is opened,

permitting the aerosol to expand. The cooling caused by this adiabatic expansion leads to supersaturation of the water vapor and

condensational growthof particles. Theparticle concentration is determined from theattenuationof light through the instrument causedby

the aerosol cloud.
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in regions with significant concentrations of semi-
volatile compounds such as ammonium nitrate and
certain particulate organic compounds, filter
measurements can be compromised by volatilization
losses. For these reasons aerosol scientists have
attempted to develop alternative measurement
techniques. These approaches include the measure-
ment of the attenuation of 0.01 to 0.1 meV beta
particles through particulate deposits collected on
filters, the change in the natural frequency of a
piezoelectric crystal on which particles have been
collected, the change in pressure drop across a filter
on which particles are being collected, and the change
in the natural frequency of a harmonic oscillating
element on which a filter for collecting particles is
mounted (Figure 14). Each of these techniques has
limitations, but they all provide valuable real-time
information that cannot be obtained with traditional
gravimetric methods.

Measurements of Size Distributions

Instrumentation to measure aerosol size distributions
down to 3 nm diameter has advanced significantly in
the past two decades. The most common sizing
methods involve classification according to electrical
mobility, the measurement of the amount of light
scattered by individual particles, and themeasurement
of the terminal velocity to which particles are accel-
erated as they flow through a nozzle.

As a rule of thumb, a given instrument can measure
the size distribution of particles ranging over about a
factor of ten in particle diameter. One reason for this
limitation is that concentrations of particles vary so
significantly with size. This can best be illustrated by
considering, as an example, the typical urban Los
Angeles aerosol. Table 2 shows the rates at which
particles in several size ranges would have been drawn
into an instrument that samples air at 1 liter per
minute. Because small particles are so much more
abundant than large ones, they are sampled at a much
higher rate. Therefore, the time required to collect a
statistically significant sample increases sharply with
size. The measurement protocol might call for meas-
urements with a time resolution of, say, one minute.
This can be achieved best by measuring large particles
with high-flow instruments and small particles with
low-flow instruments so that statistically significant
samples can be achieved for all sizes in comparable
time periods. Furthermore, because detection sensi-
tivity depends on size, it is unlikely that a given
detection scheme can be used over the entire size range
of interest.

Electrical mobility analyzers are used to measure
size distributions of particles ranging from about 3 nm
to 0.5 mm. A schematic of a scanning mobility particle
spectrometer (SMPS) commonly used for such meas-
urements is shown in Figure 15. The aerosol is brought
to a Boltzmann equilibrium charge distribution by
exposing particles to a high concentration of mixed
positive and negative gaseous ions. At Boltzmann
equilibrium the most common charge state is neutral.
However, a statistically predictable fraction of par-
ticles contains 71, 72, 73, etc. charges, and this
distribution varies with particle size. Particles smaller
than roughly 50 nm contain very fewmultiply charged
particles, while particles of 0.5 mm contain more
multiply charged than singly charged particles.

After the aerosol charge distribution has been
adjusted the aerosol flows into the differential mobi-
lity analyzer (DMA), which is the heart of the SMPS.
The DMA classifies particles according to their elec-
trical mobility by flowing the aerosol through an
annular gap between two coaxial cylindrical elec-
trodes. The laminar flow between these electrodes

Figure 12 View to the north from Keck Laboratory at the

California Institute of Technology on a clear and a smoggy day.

(Photographs by the author.)

0

2.5

5

7.5

0.01 0.1 1 10

(NH4)2SO4

H2O

Soot

Li
gh

t s
ca

tte
rin

g 
ef

fic
ie

nc
y 

(m
2

g−1
)

 Particle size, Dp (µm)

Figure 13 Light scattering efficiency (i.e., the amount of light

scattered per particle mass) versus particle size for several

important atmospheric aerosol species. (Courtesy of Dr William

D. Dick.)

30 AEROSOLS / Observations and Measurements



includes the aerosol-containing flow, which enters
along the inner wall of the outer cylinder and typically
accounts for about 10%of the total flow, and particle-
free sheath flow, which occupies the inner portion of

the annulus. The outer electrode is maintained at
ground while a voltage is applied to the inner
electrode. If the center rod is positively charged then
negatively charged particles migrate radially towards
the inner electrode as the flow draws them axially
through the annulus. Particles with high electrical
mobility deposit on the inner electrode, while those
with low electrical mobility exit the DMA with the
excess air. Particles in a narrow range of electrical
mobilities exit the DMA through a narrow gap on the
inner electrode and travel downstream to a detector,
typically a condensation particle counter. Size distri-
butions are obtained by measuring the concentration
downstream of the DMA over a range of classifying
voltages so as to cover a range of electrical mobili-
ties. Electrical mobility depends on particle charge,

Figure 14 Tapered Element OscillatingMicrobalance (TEOM) for continuousmeasurements of particle mass concentrations. Aerosol

is drawn through the filter,which increases inmassas particlesare collected. As the filtermass increases, the natural oscillating frequency

of the tapered element changes. The mass of particles on the filter is inferred from measurements of this frequency. (Courtesy of

Rupprecht & Patashnick Co., Inc.)

Table 2 Nominal particle counting rates in different size ranges

for an instrument sampling at 1 liter per minute for a typical urban

Los Angeles aerosol

Size range Nominal sampling

rate (particles s� 1)

Sampling time required

for 1% accuracy (s)

0.05–0.1 mm 106 0.01

0.1–0.2mm 105 0.1

0.2–0.5mm 104 1.0

0.5–1.0mm 103 10

1.0–2.0mm 102 100

2.0–5.0mm 101 1000
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geometric size, and shape; the electrical mobility size
of a spherical particle equals its geometric size.
Uncertainties in measured size distributions occur
when a significant fraction of the measured particles
are nonspherical. ‘Inverting’ the raw data to obtain
size distributions requires taking into account the
multiplicity of sizes that are obtained at any given
classifying voltage, since particles of a given mobility
can contain one or more elementary charges.

Optical particle counters (OPCs) are used tomeasure
sizedistributionsofparticlesas small as50nm,although
a lower size limit of 0.1 to 0.3mm ismore typical. OPCs
function by passing particles through a small ‘scattering
volume’ into which an intense source of light has been
focused. As particles pass through the scattering volume
they scatter light, which is collected bymirrors and sent
to an optical detector which converts the scattered light
to a voltage pulse that varies in proportion to the
intensity of the scattered light. Size distributions are
obtained by first establishing the relationship between
pulse height and particle size for particles of known size
and composition.Using this calibration,measuredpulse
height distributions for unknown aerosols can be
‘inverted’ to obtain size distributions.

The amount of light scattered by a particle depends
on its refractive index and on its geometric size and
shape. For any given particle, the amount of light
scattered can depend on the solid angle over which
scattered light is collected in a complicated manner,

and particles of different sizes can produce the same
OPC response. The response of a laser OPC to
spherical carbon and sulfuric acid particles of known
geometric size is shown in Figure 16. The multivalued

Figure 15 Schematic of a scanningmobility particle spectrometer (SMPS) used tomeasure size distributions in the� 10nm to 500 nm

diameter range. The particle size in the sample flow at the bottomof the instrument is changed by varying the voltage applied to the center

cylindrical rod. Size distributions are found by measuring the concentration of classified particles over a range of classifying voltages.
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relationship between response and particle size
seen for the sulfuric acid (e.g., the same response
occurs for particles of 0.9, 1.4, and 1.8 mm) is
less pronounced when particles scatter incandescent
light, since the optical resonances that lead to the
oscillations shown in Figure 16 are wavelength-
dependent and lead to a more nearly monotonic
response when averaged over a broad distribution of
wavelengths.

Aerodynamic particle sizers (APSs) (Figure 17) also
use light scattering to determine particle size. The size
measuring principle, however, is quite different from
that employed with an OPC. In an APS, particles are
accelerated through a nozzle and then pass through
two focused laser beams that intersect the particle
beam at right angles. A light-scattering pulse is
obtained as particles pass through each of the lasers,
and the particle velocity is determined from the known

distance between the lasers and the time required to
traverse this distance. Because of their inertia, large
particles tend to lag behind the carrier gas as it
accelerates through the nozzle, and they achieve a
terminal velocity less than the gas velocity. As particle
size decreases, particles accelerate more readily with
the gas. Therefore, the terminal particle speed ap-
proaches that of the gas. APSs infer particle size from
the measurement of the particle’s terminal speed. As
with impactors,which also classify particles according
to aerodynamic size, measurements depend on the
particle’s geometric size, shape, and density.

Summary

Recent interest in the effects of environmental aerosols
on radiative transfer through the atmosphere and on
human health have led to significant advances in

Figure 17 Schematic of an aerodynamic particle sizer (APS). Particles are accelerated through a nozzle to a velocity that decreases

with increasing particle size due to particle inertia. Size is inferred from velocity, which is determined from the time required for the particle

to travel between the two scattering regions formed from the split laser beam. (Courtesy of TSI, Inc.)
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instrumentation for measuring aerosol physical and
chemical properties. It is nowpossible, for example, to
measure physical size distributions down to 3 nm
diameterwith a time resolutionof severalminutes, and
instruments for measuring the composition of indi-
vidual particles in real time are being developed and
used for atmospheric studies. While most measure-
ments of aerosol composition to date have involved
the analysis of samples collected on filters, instruments
are currently being developed that provide real-time
informationon aerosol compositionwith amuchbetter
time resolution than can be obtainedwith filters. These
advances are leading to significant refinements in our
understanding of the origins of atmospheric particles
and of the role they play in atmospheric chemistry.

See also

Aerosols: Climatology of Tropospheric Aerosols; Physics
and Chemistry of Aerosols; Role in Cloud Physics; Role in
Radiative Transfer. Satellite Remote Sensing: Aerosol

Measurements. Tropospheric Chemistry and Compo-
sition: Aerosols/Particles.
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Introduction

The atmosphere is an aerosol, that is, a mixture of
carrier gases suspending liquid or solid particles. The
literature abounds with confusing usage of the term
aerosol (often used synonymously with the condensed
phase of thismultiphase system). In the present article,
the term aerosol is used exclusively for the complete
multiphase system. In the atmosphere, there are good
reasons to include aerosols and clouds in one defini-
tion. Both systems often exhibit comparable lifetimes.
The traditional separation into aerosol particles and
‘activated’ cloud elements appears untenable and
counterproductive because there ismounting evidence
for a humidity-dependent unbroken continuum in
particle sizes, related atmospheric processes, and
effects from dehydrated submicrometer particles to
decamicrometer cloud drops (Figure 1).

Monitoring and analytical demands in ultraclean,
nanotechnologies anddefence technologies have led to
the development of a rapidly growing number of high-
sensitivity particle sensors and methods. Additionally,
some ten years ago atmospheric aerosols were recog-

nized as major controllers of global climate. Taken
together, these two independent developments have
led to tremendous advances in atmospheric aerosol
research over the past 15 years. Consequently, numer-
ous details of the physical and chemical characteristics
of the atmospheric aerosol can be summarized after
introductory remarks on nomenclature in the first two
sections of this article. Through new aerosol instru-
mentation and theoretical considerations, the state of

Figure 1 Trade Wind clouds surrounded by thick haze near the

surface of the Indian ocean. (Courtesy of A. D. Clarke, University of

Hawaii.)
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mixture of aerosols emerges as a new dimension
affecting all atmospheric aerosol processes and effects.
The article will thus conclude with an introduction to
this aerosol descriptor.

Nomenclature

Source processes, particle origin, and particle size (in
this article the diameter of a reference sphere) are the
main descriptors in the current nomenclature of the
atmospheric aerosol. Primary particles are emitted
into the atmosphere from their source as particles.
Examples are pollen, sea salt, and soot from combus-
tion sources. New secondary particles are formed in
the atmosphere by the nucleation of one or several
precursor gases, while condensation of gas phase
material (most frequently water vapor) on existing
particles adds secondary particulate matter to the
aerosol. Crustal particles have their aeolian origin in
the eroded crustal surface of the Earth. Conversely, sea
salt particles originatemostly frombubbles bursting at
the sea surface. Differentiating natural and anthro-
pogenic particles in the atmospheric aerosol becomes
increasingly difficult because environmental changes
caused by human activities on a global scale affect all
aerosol source processes.

The coarsest size-related particle nomenclature is
also connected to particle source processes. Fine
particles below roughly 1 mm are mainly secondary
in nature or result from combustion processes whereas
coarse particles with diameters larger than 1mm are
mainly primary in nature and result from the surface of
the Earth (sea, land, vegetation). For technical rea-
sons, coarse particle chemical data are given in this
article for an upper size limit of 10 mm. The regular
structure of the size distribution of atmospheric
aerosol particles has stimulated the naming of sub-
ranges of particle size. Particles below roughly 20 nm
are called ultrafine. Aitken particles are larger than
ultrafine particles, ranging up to about 100 nm. A
third subrange, or mode, of fine particles is called the
accumulation mode and includes sizes between about
100 nm and 1mm.

Distribution and Physical Properties

Our knowledge of the three-dimensional distribution
of the atmospheric aerosol is rather incomplete.
Satellite data and global chemical transport models
give the best overviews. These show that crustal
aerosols are concentrated in and downwind of the
deserts of Africa, Arabia, and Eurasia, whereas the
maxima of sea salt particles in both hemispheres are
colocated with the stormy mid- and high-latitudinal

west wind zones. Anthropogenic aerosols are concen-
trated (in order of importance) around and downwind
of the major population centres of East Asia, the
Indian subcontinent, North America, and Europe.

Dominating aerosol sources are located at or near
the ground. Consequently, most integral aerosol
properties decrease strongly with altitude. Known
exceptions are total number and possibly particle
surface, which show secondary peaks near the tropo-
pause where both natural and anthropogenic (air
traffic) particle sources have local maxima. In the
stratosphere, there is a perennial aerosol layer between
15 and 25 km, the so-called Junge layer. It is main-
tained by oxidation products of sulfur gases emitted
from the Earth’s surface, with sporadic strong replen-
ishments from volcanic eruptions. Typical size distri-
bution parameters ofmajor aerosol types are collected
inTable 1. Global coverage of size distribution data is
far from satisfactory. Over the oceans, surface cover-
age is about 28%, whereas no comparable number
exists for the continents or upper atmospheric layers.

Including nonprecipitating clouds, the sizes of
atmospheric aerosol particles are distributed over
more than four orders of magnitude from 1nm to
about 100 mm. This distribution of particle numbers
over particle diameter D is conveniently approximat-
ed by a superposition of a number of log-normal
distributions, each characterized by the three param-
eters of geometric mean diameter dg, geometric
standard deviation sg, and total number concentra-
tion N (eqn [1]).

dn

d lnD
¼ Nffiffiffiffiffiffi

2p
p

ln sg
exp

ðln D� lnDgÞ2
2ðln sgÞ2

" #
½1�

Here dn=d lnD is the number of particles per loga-
rithmic size interval and volume of air. Apart from
mathematical convenience, there is no physical basis
for this particular choice of distribution function,
except for crustal particles. For this particle type,
models of the primary processes of particle formation
on the Earth’s surface have been formulated with log-
normal distributions.

With additional assumptions about particle shape
and composition, the integral properties of surface,
volume, and mass concentrations can be derived
analytically from the three basic distribution param-
eters. They vary over more than six orders of magni-
tude in the Earth’s atmosphere. Models of aerosol
dynamics have been formulated that are based on
moments of log-normal size distributions.

Table 1 compares log-normal distribution parame-
ters for major natural aerosol types and reservoirs
with those for anthropogenic particles and low stra-
tiform clouds. For sea salt particles the distribution
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parameters for the two major source processes of
film and jet drop production are listed in Table 1
for a wind speed at 10m height (U10) of 10m s� 1.
Number concentrations of film (Nfilm) and jet particles
(Njet) at other wind speeds follow eqns [2] and [3],
respectively.

lnNfilm ¼ 0:095U10 þ 0:283 ½2�
lnNjet ¼ 0:0422U10 � 0:288 ½3�

Crustal particle sources are also strongly wind-driven.
Total mass concentration of crustal particles c in
mgm� 3 is related empirically to the wind speed at 2m
height (U2) by eqn [4].

log c ¼ 0:3U2 þ 52:77 ½4�
Note that the substantial mass concentrations implied
by eqn [4] at zero local wind speed are due to the fact
that regional dust sources will maintain the crustal
aerosol even without local wind. For the size distribu-
tionof crustal particles, a superposition of threemodes
has been suggested. The corresponding modal param-
eters for experimentally determined mass proportions
of these three modes averaged over different wind
conditions in two source regions are listed in Table 1.
The mass-related crustal data have been converted,
using a particle density of 2.65 g cm�3, to respective
total number concentrations for c ¼ 52:77 mgm�3.
With eqn [4] these number concentrations can be
scaled to differentwind speeds (neglecting the fact that
the proportions of the three modes also show some

wind speed dependence). Only for the summer Arctic
have statistical data for a marine ultrafine mode been
secured. Global annual average Aitken and accumu-
lation mode distribution parameters, on the other
hand, have been published and are listed as ‘Ocean,
fine’ inTable 1. Anthropogenic fine and coarse particle
distribution parameters have been derived from about
two years’ of continuous data near Leipzig, Germany.
Upper troposphere parameters are derived from 21
flights with a commercial aircraft of the CARIBIC
project between Germany and the Indian Ocean. The
stratus data are derived from 14 marine and 14
continental cloud studies.

Figure 2 illustrates the shapes of the different
particle size distributions of Table 1. Size, position,
and total number of the submicrometer modes are
controlled by the strengths of the related gas-to-
particle sources combined with the effects of aerosol
dynamics and liquid phase chemical reactions. The
different modes depicted in Figure 2 will never be
present at the same time and place in the atmosphere.
Numerical models of atmospheric aerosol dynamics
predict transformations between the modes depicted
in relation to the source and sink processes controlling
a particular setting. It is interesting to note that despite
the very wide range of median particle sizes the
geometric standard deviations of the distributions
vary only between 1.4 and 2.

As indicated by the thick haze surrounding the
clouds in Figure 1, there is no size gap around 1000 nm
in the real cloudy planetary boundary layer between

Table 1 Geometric mean diameter dg, geometric standard deviation sg and total number concentration Nt in cm� 3 for major

atmospheric aerosol types and reservoirs in the ultrafine, Aitken, and coarse particle size ranges and for low stratiform clouds.

Region \log-normal

parameters

No.a Ultrafine Aitken Accumulation Coarse Stratus

Nt dg sg Nt dg sg Nt dg sg Nt dg sg Nt dg sg
(nm) (nm) (nm) (nm) (nm) (nm) (mm) (mm) (mm) (mm)

Arctic 1 120 14 1.4

Ocean, fine 2 280 40 1.4

Ocean, fine 3 170 160 1.5

Sea salt (film) 4 3.4 200 1.9

Sea salt (jet) 5 1.1 2.0 2.0

Crustal, mode 1 6 4.5 0.64 1.7

Crustal, mode 2 7 0.15 3.5 1.6

Crustal, mode 3 8 0.013 8.7 1.5

Anthropogenic, fine 9 630 5.9 1.3

Anthropogenic, fine 10 2010 16 1.6

Anthropogenic, fine 11 2300 58 1.7

Anthropogenic, fine 12 500 199 1.52

Anthropogenic, coarse 13 1.5 0.73 1.9

Upper troposphere 14 4400 24 1.7

Stratosphere 15 50 80 1.5

Marine Stratus 16 74 13 1.5

Continental Stratus 17 288 7.7 1.5

aThe number identifies the curves in Figure 2.
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aerosol and cloud drop size distribution, such as
may be inferred from Figure 2. Recent studies of
the transition from haze to fog with new drop
spectrometers have shown that there is a continuous
range of particle sizes from the accumulation mode
to micrometer-sized and supermicrometer-sized
haze and cloud drops with increasing relative humid-
ity (RH). Bymeans ofmeasured horizontal visibilities,
this transition can be divided into three meteoro-
logical regimes: haze with a visibility larger than
1000m; mist with a visibility between 500 and
1000m; and fogwith visibilities below500m.Average
particle size distributions in the highly polluted
Po Valley, Italy, for the three regimes are displayed in
Figure 3. Counting statistics limit the size range for
the cases of haze and mist. The corresponding
average visibilities are 1770m, 790m, and 190m,
respectively.

The in situ particle or drop size distributions clearly
demonstrate the evolution of a continuous size distri-
bution from submicrometer particle sizes to decami-
crometer sized drops in the transition from haze to fog
(or other stratiform clouds).

Chemical Composition

The chemical composition is a major factor that
controls the atmospheric effects of aerosol particles.
The many possible source processes and source types
coupled with physical and chemical atmospheric
transformation processes lead to a large variability in
aerosol composition. This variability, combined with

very low mass mixing ratios of particulate matter in
the atmosphere (mostly much less than parts per
million), puts very high demands on chemical analy-
ses. Consequently, global coverage and chemical
completeness of aerosol analyses are far from satis-
factory formost aerosol-related issues. As an example,
only about 65% of the oceans are covered by the
simplest non-size-resolved chemical analyses of the
surface aerosol. For want of adequate global chemical
aerosol data, the following section presents typical
examples from larger aerosol experiments in polluted
central Europe and from low-pollution marine
regions.

With a size segregation into fine and coarse parti-
cles, chemical balances of gravimetric particulatemass
have been constructed. For mass closure, estimates of
particulate organic carbon (POM) and elemental
carbon (EC) from thermal analyses and water as
calculated with the measured ionic composition and
sample relative humidity have been included. The sum
of crustal dust is estimated from analyzed crustal
components such as iron, aluminum, and silicon.
Figure 4 summarizes the chemical mass balances over
central Europe for summer and winter. Ammonium
sulfate and carbonaceous components, both largely
due to combustion sources, dominate fine particle
composition. The higher mass fraction of elemental
carbon in winter results from increased combustion of
fossil fuels during the cold season. For ammonium
nitrate, the partitioning between the gas phase and the
particulate phase is strongly temperature-dependent.
Additionally, the Kelvin effect (curvature-dependent
vapor pressure) disfavors particulate nitrate in small
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submicrometer particles. Consequently, most partic-
ulate nitrate is found in coarse particles in summer,
whereas submicrometer particles show highest nitrate
contents in winter.

The marine aerosol data shown in Figure 5 are
aggregated from recent cruises in the North and South
Atlantic and in the Indian Ocean (without direct
influence from the Indian subcontinent), from which
the first chemical mass closures of size-segregated
aerosol were reported.

The significant contribution of continental dust
to submicrometer particle composition and the even

stronger contribution to coarse particle composition is
due to the ship passing through the Saharan plume
over the Atlantic. Supermicrometer composition in
Figure 5B is just meant to indicate that the two major
possible contributors are sea salt and dust, with their
actual proportionbeing controlled by localwind speed
and the distance to the nearest continental crustal
source. The relatively high mass fraction of elemental
carbon is due to the African biomass burning plume
reaching out over the tropical Atlantic. Note that
nearly 90% of the particulate mass is in the coarse
particle range.
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State of Mixture

All aerosol characteristics and aerosol effects are
controlled by the properties of the individual particles.
A volume of air contains many particles in any given
particle size interval, which can be expected to have
individual properties because of the multitude of
possible source and transformation processes. The
available physical and chemical aerosol information,
on the other hand, mostly concerns bulk properties of
a rather large number of particles as required for the
quantification in specific aerosol analytical instru-
ments after sampling from the atmosphere.

The distribution of particle properties among a
population of particles with a common sorting prop-
erty such as their electrical mobility or mass is called
the state of mixture. This state varies between the
extreme possibility of an external mixture, in which
essential particle properties such as their light absorp-
tion differ between particles of a given sorting prop-
erty, and an internalmixture, inwhich all particles of a
given size range have very similar properties. The
traditionalmethods of quantifying the state ofmixture
are based on topochemical or electron-microscopic
studies of individual deposited particles. With recent
advancements of electrical and mass spectroscopy of
airborne particles, new information on the state of
mixture has been derived that is consistent with and
extends microscopic data.

Owing to atmospheric transformation processes,
we expect a general trend from a more externally
mixed aerosol in source regions to a more internal
mixture near the endof the atmospheric residence time

of the particles. The main reasons for this trend are
Brownian coagulation, condensation from the gas
phase, and in-cloud processes eveningout interparticle
differences with time.

This trend is most clearly seen in measurements of
the hygroscopic particle properties, which can be
made with high size resolution for individual particles
in their airborne state. At any given submicrometer
particle size these measurements frequently indicate
the existence of at least two particle populations, one
that is more and one that is less hygroscopic; that is, an
external mixture of hygroscopic behavior. Figure 6
shows the number fraction of submicrometer less
hygroscopic particles as a function of distance from
major anthropogenic source regions. This graph
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illustrates the change in the state of mixture from
aerosol source to sink regions. To date, no large-scale
aerosol dynamics model takes this aerosol parameter
into account.

See also

Aerosols: Climatology of Tropospheric Aerosols; Obser-
vations and Measurements; Role in Cloud Physics; Role in
Radiative Transfer. Arctic Haze. Biogeochemical Cy-
cles: Sulfur Cycle. Cloud Microphysics. Satellite Re-
mote Sensing: Aerosol Measurements. Stratospheric
Chemistry and Composition: HOx; Halogen Sources,
Anthropogenic; Halogen Sources, Natural; Halogens; Hy-
drogen Budget; Reactive Nitrogen (NOx and NOy). Trop-
ospheric Chemistry and Composition: Aerosols/
Particles.

Further Reading

Brasseur GP, Prinn RG and Pszenny A (eds) (2001) Atmos-
pheric Chemistry in a Changing World. Heidelberg:
Springer-Verlag.

Charlson RJ and Heintzenberg J (1995) Aerosol Forcing of
Climate. New York: Wiley.

Heintzenberg J (1994) The life cycle of the atmospheric
aerosol. In: Boutron C (ed.) Topics in Atmospheric and
Interstellar Physics and Chemistry, pp. 251–270. Les
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Introduction

Without aerosol particles, cloud formation in the
atmosphere would not occur at the temperatures and
relative humidities at which clouds are observed to
exist. Pure water droplets can form from the vapor
phase only at very high supersaturations – that is, at
partial pressures well above the equilibrium vapor
pressure for water at a given temperature. The
presence of aerosols in the atmosphere provides nuclei
onto which liquid water or ice can condense at much
lower partial pressures, initiating droplet formation
and eventually growing the nuclei to sizes recognized
as cloudparticles.At the same time, incorporation into
cloud water and precipitation is the main mechanism
by which small particles are removed from the
atmosphere. Thus to some extent aerosol particles
can affect their own atmospheric removal rates, by
influencing the conditions for cloud formation and the
properties of the clouds into which they become
incorporated.

Atmospheric Particulate Matter

A broad range of chemical species is found in atmos-
pheric particulate matter, reflecting the variety of
sources that contribute particles of different sizes and
properties. A basic distinction is drawn between
‘primary’ particles, those emitted directly from a
source, and ‘secondary’ particles, particulate matter
formed in the atmosphere via gas-to-particle conver-
sion processes. Examples of the former are soot
particles generated in combustion processes, wind-
blown dust particles, and sea salt particles. An
important example of gas-to-particle conversion
(GTPC) is the oxidation of reduced sulfur gases, such
as SO2, to oxidized sulfur compounds (e.g., sulfuric
acid), that have very low vapor pressure and remain in
the particulate phase. In this case the primary emission
is the sulfurous gas, and the formation of particulate
matter can take place at large distances from the gas
emission source. Further, the oxidation can occur
either slowly in the gas phase, generally initiated by
attack of the OH� radical, or rapidly in the aqueous
phase (cloud or fog water) by the reaction of dissolved
SO2 with a dissolved oxidant such as ozone (O3) or
hydrogen peroxide (H2O2). Thus it can be quite
difficult to unambiguously and quantitatively link
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particulate matter created via GTPC to its emission
source. Nitrates and secondary organic carbon
species are two additional major constituents
of the tropospheric aerosol that are formed by
GTPC, probably primarily by gas-phase oxidation
processes.

The sizes of particulate matter reflect the formation
mechanisms, and can range from a few nanometers
(nm, 10�9m) for particles freshly formed from the gas
phase, to tens ofmicrons (mm, 10� 6m) forwindblown
dust particles. Although many atmospheric particles
are not spherical, it is common to treat them as
spheres, especially when describing their sizes.
Particle sizes of primary interest to cloud physics are
those in the so-called accumulation mode (B0.1–1 mm
in diameter, Dp) and the coarse mode (larger
than 1 mm). In general, the coarse mode comprises
primary particles such as soils, sea salt, and
fragments of biological material. Their surface-based
generation mechanisms and relatively large settling
velocities tend to confine coarse-mode particles to the
lowest levels of the atmosphere. Although vigorous
convective processes can temporarily lift such large
particles to higher altitudes, they generally do not
remain aloft long enough to be transported over long
distances, and thus the mix of coarse-mode particle
types in a particular location largely reflects local
sources.

In contrast, particulate mass in the accumulation
mode is thought to be largely created by GTPC,
especially aqueous-phase oxidation processes, al-
though some of the mass comes from agglomeration
of smaller particles with those in the accumulation
mode. Particles in this intermediate 0.1–1 mm size
range have the longest lifetimes in the atmosphere, for
a number of reasons. First, these small particles can
either be formed at or lifted to free-troposphere
altitudes where they can be transported over large
distances and not readily mixed toward and lost at the
surface. Second, their settling velocities are low. It
would take several years for a 0.2 mm particle starting
at 500m altitude to fall to the ground at its terminal
settling velocity. Finally, their particle diffusivities are
low and they are not quickly lost to agglomeration
with larger particles, which exist in much lower
number concentrations.

The primary removalmechanism for accumulation-
mode particles is therefore incorporation into precip-
itation. From rough considerations of the average
frequency of cloud encounters expected for an air
parcel in different levels of the troposphere, and the
fact that multiple nonprecipitating cloud cycles occur
for each precipitating cloud cycle, one concludes that
accumulation-mode particles have tropospheric life-
times that can range from days to weeks. Their

composition therefore generally does not reflect a
single source, and indeed particle composition and
characteristics can be altered dramatically during
transport and during incorporation into and release
from nonprecipitating clouds.

In addition to size, the amount of soluble and
insolublematerial in an aerosol particle is important in
determining the nature of its interaction with cloud
water and ice. Soluble species commonly found
in accumulation-mode particles, and sometimes in
the coarse mode as well, include sulfuric and
nitric acids and their sodium and ammonium salts,
and some secondary organic species. Recent evidence
shows that sea salt can be present in particles as
small as 0.1 mm, in addition to being a dominant
constituent of coarse-modemarine aerosols. Insoluble
or slightly soluble material found in aerosols includes
soot, many organic species, metals, and minerals. As
will be discussed later, the presence of insoluble
compounds changes the droplet-forming behavior of
particles, as well as influencing their ice-forming
properties.

Water Content of Aerosols

If one imagines an air parcel, initially devoid of
particulate matter, that is saturated with water vapor
at the Earth’s surface and is then lifted vertically,
expanded, and thereby cooled, it is evident that the
vapor in that parcel will supersaturate significantly
during the parcel’s ascent. The saturation ratio, S, in a
parcel is the ratio of the ambient water vapor partial
pressure, paw, to the equilibrium vapor pressure of
water, p�wðTÞ at the ambient temperature, T. A
saturation ratio of 1 is equivalent to a relative
humidity (RH) of 100%, and ‘supersaturation’ is
defined as S� 1. This supersaturation is an unstable,
nonequilibrium condition: at some point beyond the
equilibrium state, a phase change occurs, forming
drops of liquid from the gas phase. This process is
called nucleation and involves both equilibrium and
kinetic considerations; a discussion of water drop
nucleation is beyond the scope of this article, but can
be found in the suggested Further Reading provided at
the end. Pure water droplets could form if no particles
were present in the atmosphere, but only if the
supersaturation were high enough to overcome the
energy barrier to nucleation. In the real atmosphere,
aerosol particles are always present and serve as
sites on which water can readily condense at low
supersaturations, preventing the high supersatura-
tions that would be needed to nucleate pure water
drops. Thus, cloud water never consists solely of
H2O but also contains a variety of chemical species
that reflect the composition of the particles on which
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the droplets formed, as well as gases that dissolve into
the drops.

Many particles begin to take up water at relative
humiditiesmuch less than 100%.The ability to absorb
water at subsaturation conditions depends on the
presence of soluble species or ‘hygroscopic’ material.
The amount of water vapor that is transferred to the
liquid phase is determined by equilibrium between the
vapor and liquid phases of water. The condition of
equilibrium is equality of the water activity in both
phases. For the vapor phase, the activity can be set
equal to the saturation ratio with little error, but the
presence of a solute makes the water activity of
the liquid phase, denoted here by aw, a function of the
solution composition. In general, and certainly for
many ionic species commonly found in atmospheric
aerosols, awo1, that is, the presence of the solute
suppresses the water vapor pressure over the solution
surface. The equilibrium condition is thus given by eqn
[1], where psw is the vapor pressure of water over the
solution, and will be satisfied for the particular solute
concentration that yields the required aw.

paw ¼ psw ¼ awp
�
wðTÞ ½1�

To solve this expression, experimental data are needed
to determine how aw for a solution varies with the
solution composition; data for solutions ofmany ionic
species have been reported in the literature as polyno-
mial fits.Figure 1 shows one example, the composition
of aqueous sodium chloride solutions, expressed as the
mass of water per unit mass of solute. From Figure 1,
the water contents of solutions can become very large,

and thus the solution very dilute, as aw approaches 1. If
the solution is very dilute, some simplifying approx-
imations for aw can be made; these will be discussed
briefly later.

An additional consideration is required before this
equilibrium condition can be practically applied to the
atmosphere, which arises because the diameters of
accumulation-mode particles are so small. This is that
the vapor pressure over a convex curved surface is
higher than that over a flat surface, and noticeably so if
the curvature is high enough. This phenomenon is
called the Kelvin effect and can be expressed mathe-
matically by eqn [2].

p̂pswðDpÞ ¼ psw exp
4sVw

DpRT

� �
½2�

In eqn [2], p̂psw is the vapor pressure of water over the
curved solution surface, s is the surface tension of the
solution, R is the ideal gas constant, and T is absolute
temperature. The quantity Vw is the partial molar
volumeofwater in the solution,which can be obtained
from the variation of solution density with composi-
tion (eqn [3]].

Vw ¼ Mw

r
1þ xs

r
dr
dxs

� �
½3�

In eqn [3], xs is the mass fraction of solute in the
solution, r is the density of the solution, andMw is the
molecular weight of water. If the solution behaves
ideally, or if it is dilute, then to a good approximation
Vw can be set equal to the molar volume of pure water
(eqn [4]).

Vw � Mw

rw
½4�

Thus, the equation for particle hygroscopic growth,
applying the approximation for the partial molar
volume of water, is given by eqn [5].

paw
p�wðTÞ

¼ S ¼ RH

100
¼ aw exp

4sMw

DprwRT

� �
½5�

Since the exponential Kelvin term is always larger than
1, and thewater activity approaches 1 for dilute drops,
eqn [5] can be satisfied for some values of S larger than
1. That is, drops can be in equilibrium under some
supersaturated conditions, although there will be
some large values of S for which no solution to the
equilibrium equation exists; the behavior of a popu-
lation of drops under such conditionswill be discussed
in the next section. For many species, there is also a
lower limit to the relative humidities for which a
solution of eqn [5] can be found. This lower limit is
defined by the most concentrated solution that can be

60

50

40

30

20

10

0

M
as

s 
w

at
er

 / 
m

as
s 

N
aC

l

1.00.90.80.70.60.50.4

Relative humidity  (= aw)

Figure1 Water content of aqueousNaCl solutions, expressed in

terms of the mass of water per unit mass of salt as a function of the

water activity in solution. The solution is assumed to be in

equilibriumwith theambient relativehumidity and thus theabscissa

can be expressed as either RHor aw. The curve is based upon data

from Tang (1997).

42 AEROSOLS / Role in Cloud Physics



formed for that species, which determines the lowest
solution water activity, the efflorescence humidity: the
point atwhich the solution crystallizes and forms a dry
particle. Equation [5] can also be used to define the
deliquescence humidity,DRH; the dry particlewill not
take up water below its DRH. The variation in DRH
for different pure, bulk ionic species, setting theKelvin
term equal to 1, is shown in Table 1. Atmospheric
aerosols do not consist of pure species, and thus their
deliquescence and hygroscopic growth properties
deviate from those expected for pure compounds.
However, it has been determined experimentally that
the quantities and types of soluble material in atmos-
pheric particles play a role in their ability to take up
water vapor and ultimately form cloud droplets.

The equilibrium expressed by eqn [5] is shown in
Figure 2 for aqueous solutions of sodium chloride,
formed from different sizes of dry particles, to illus-
trate hygroscopic growth above and below S � 1.
From Figure 2, there is a maximum in the equilibrium
value of S, called the critical saturation ratio, Sc. The
corresponding particle diameter is referred to as the
critical size.Anotherwayof looking at this is that there
is a range of saturation ratios for which two equilib-
rium particle sizes could exist. The presence of the
solute, expressed by aw, tends to lower thewater vapor
pressure over the solution, and the Kelvin effect acts in
the opposite direction, raising the vapor pressure over
the droplet. Below the size, the effect of the solute
dominates, and for S less than approximately 1 there is
only a single particle size than satisfies the equilibrium
equation. Further, a particle having a diameter less
than the critical size is in stable equilibrium. If
additional water condenses onto such a particle that
was initially in equilibrium with its environment, its
size increases. From Figure 2, the vapor pressure over
the growing particle is then also increased, above the
ambient vapor pressure, creating a driving force for
evaporation from the drop and a return to its initial
equilibrium condition. The figure thus illustrates that

water-containing solution particles in the atmosphere
can stably exist in environments with relative humidi-
ties both less than and greater than 100%.

As the drop grows and becomes more dilute,
however, aw approaches 1, and the Kelvin effect
becomes dominant. The larger the particle grows, the
smaller the Kelvin effect becomes, and, for particles
larger than the critical size, the vapor pressure over the
drop surface decreases with size, opposite to the
behavior below the critical saturation ratio. Particles
having compositions on this portion of the curve are in
unstable equilibrium with respect to small perturba-
tions from their equilibrium state. The drop can thus
grow spontaneously to sizes typical of fog and cloud
drops (i.e., on the order of several micrometers in
diameter or larger), and therefore particles moving
along this branch of the curve are called ‘activated’
droplets. Particles in the atmosphere that participate
in this activation process are called ‘cloud condensa-
tion nuclei’, or CCN.

Equation [5] is commonly called the Köhler equa-
tion, and usually appears in a simplified form that is
obtained aftermaking several approximations that are
appropriate for dilute solutions. First, the partial
molar properties of water are assumed to be the same
as the molar properties of pure water, as described
above. Second, the water activity is expressed as
aw ¼ gwxw,where gw is the activity coefficient ofwater
in solution, xw is the mole fraction of water in the
solution, and gw ! 1 is assumed to apply to the dilute
solution. Third, the dilute approximation means that
the contributions of the solute to the drop volume
can be neglected, relative to the large amount of
water present. A full development applying these

Table 1 Relative humidities of deliquescence (RHD) at 298K for

selected compounds

Compound RHD (%)a,b

NH4HSO4 40

(NH4)3H(SO4)2 69

(NH4)2SO4 80

Na2SO4 84

NaNO3 74

NaCl 75

NH4NO3 62

aSeinfeld and Pandis (1998).
bTang (1997).
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approximations can be found in the references under
Further Reading. The resulting simplified relation is
given in eqns [6] to [8].

ln
paw

p�wðTÞ
� �

¼ ln S ¼ A

Dp
� B

D3
p

½6�

A ¼ 4swMw

rwRT
� 0:66

T
½7�

B ¼ 6nsMw

prw
� 3:44�1013nms

Ms
½8�

In these equations, sw is the surface tension of pure
water, ns is the number of moles of solute in the
particle,ms is the solute mass in the particle in grams,
Ms is the molecular weight of the solute, and n is the
number of ions produced when each solute molecule
dissociates. With reference to Figure 2, the rising
portion of the equilibrium curve is associated with the
dominance of the B term in eqn [6], and the unstable
portion of the curvewith the dominance of theA term.
The critical saturation ratio can be then easily solved
for eqn [9].

ln Sc ¼ 4A3

27B

� �1=2

½9�

If insolublematerial is present in the dry particle, the
equilibrium expressionmust bemodified; the effect on
eqn [6] is shown in eqn [10].

ln
paw

p�wðTÞ
� �

¼ ln S ¼ A

Dp
� B

ðD3
p � d3

uÞ
½10�

Here du is the diameter of the insoluble portion of the
dry particle. Fromeqn [10], it is seen that, for the rising
portion of the curve where So1, the presence of the
insoluble component will always require a higher
saturation ratio for equilibrium at a particular droplet
size than required for the purely soluble particle
(du ¼ 0).

The simplicity of eqns [6]–[8] makes them useful for
examining the general behavior of particles of differ-
ent dry sizes and compositions. However, it must be
borne inmind that the assumptions, particularly those
made regarding the water activity, are in many cases
not appropriate. In that case, calculations based on
eqns [6]–[8] will not produce accurate estimates of
particle and droplet behavior even near the critical
saturation ratio, where the dilute approximation
might be expected to hold (see Figure 2). Although
no analytical form exists, the critical saturation ratio
can be accurately determined from eqn [5] without
such approximations by computing the curve and

finding where it is a maximum. However, this
requires knowing the properties of the aqueous
solution. Solution properties are currently available
only for pure compounds and for a few simple
mixtures, which are themselves only approximations
of the complex compositions found in most atmos-
pheric aerosols.

In summary, the value of the critical saturation ratio
for any particle is a function of its size and chemical
composition, including the amount and type of soluble
material. The smaller the initial dry particle size, and
the smaller the soluble fraction of its mass, the higher
the critical saturation ratio needed to activate the
droplet. The ability of a particle to serve as a cloud
condensation nucleus is characterized by this critical
saturation ratio. Instrumentation has been developed
to count the number concentrations of atmospheric
particles serving as CCN at a particular saturation
ratio. However, from the above discussion, it is clear
that there is no one-to-one correspondence between
critical saturation ratio and particle properties. That
is, many combinations of particle size, amount of
soluble material, and type of soluble material can give
the same critical saturation ratio, and further charac-
terization of the particle is needed to develop an
understanding of which particle sizes and composi-
tions contribute to a measurement of CCN number
concentrations.

Aerosol InteractionswithLiquid-Phase
Clouds

In the atmosphere, a parcel of air in which a cloud
forms contains a population of aerosol particles, with
one or more size and composition modes. At relative
humidities below about 95%, the aerosol water
content across the spectrum of particle sizes and types
is believed to be in equilibrium with the ambient
relative humidity, because the response of particles to
changes in the atmosphere is rapid. Further, the
equilibrium water content of aerosols is so low at
these RHvalues that little depletion of thewater vapor
concentration occurs, and temperature effects of con-
densation can be ignored. As the humidity increases
above 95%,however, the equilibriumwater content of
the particles rises rapidly (see Figure 1), and the rate of
mass transfer between the gas and particle can become
a limiting factor in determining whether the particle
can maintain equilibrium. If changes in the ambient
environment are rapid, as during an ascent of an
adiabatic parcel, then it is likely that the rate of
condensation of water onto the particles can-
not maintain equilibrium between the two phases.
This is especially true for ‘giant’ or coarse-mode
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(Dp41 mm) particles, since the mass of the particle
increases as D3

p, whereas the rate of mass addition
by condensation only increases as Dp. When this
occurs, the water content of the aerosol can only be
predicted by solving kinetic equations for particle
growth by condensation and simultaneous depletion
of water vapor in the ambient environment. The equi-
librium expressed by eqn [5] and shown in Figure 2
gives the vapor pressure of water over solution drops
of varying sizes; the magnitude of the difference
between this vapor pressure and that in the environ-
ment is the driving force for further change in the
system.

Since the population of particles has a broad range
of critical saturation ratios, as the ambient S is
increased above 1 as the parcel rises adiabatically,
different subpopulations will grow past their critical
sizes and become activated. The driving force for
further growth onto those particles then becomes very
large, as can be seen from Figure 2: past the critical
size, the vapor pressure over the drop decreases,
significantly increasing the magnitude of the driving
force for condensation. Activated particles grow
very rapidly, depleting the vapor and preventing the
saturation ratio from rising further even under
continued adiabatic expansion that produces
additional condensable vapor. Particles with high
critical saturation ratios may then never become
activated. Interestingly, it might be expected from
this scenario that the particles with the lowest critical
saturation ratios are activated first, but this is not
necessarily the case. Large, highly soluble particles
are most likely to have low critical saturation ratios,
but those particles also require the longest time to
reach their critical sizes because such a large mass
of water must be transferred to them. During
their growth, before other particles become activated,
the saturation ratio in the environment may continue
to rise because the rate of mass transfer to large
drops does not deplete the ambient water vapor
rapidly enough. The ambient vapor pressure may
eventually exceed the critical saturation ratios of
smaller particles, which grow to activated sizes more
readily than the larger particles because their critical
sizes are much smaller. The rapid growth of the
activated particles depletes the vapor concentration,
lowering the environmental saturation ratio and
preventing the activation of both the larger, partially
grown particles and of smaller, unactivated particles.
This scenario demonstrates that the size distribution
and chemical composition of an aerosol play profound
roles in determining the drop size distribution that
is formed.

The competition for vapor among growing droplets
tends to narrow the droplet size distribution, as does a

narrow CCN particle size distribution initiating drop
formation. Other processes, such as entrainment, may
act to broaden the drop spectrum. This broadening is
important from a cloud physics standpoint, because
warm-rain initiation processes are much more active
for broader drop spectra. These initiation processes
dependon the collisions of droplets, and collision rates
are minimized when drops are of similar sizes. The
presence of a few large droplets, whether or not
they are truly ‘activated’ in the sense of the Köhler
equations, serves to broaden the drop spectrum and to
enhance the formation of drizzle and precipitation.
Thus it has been postulated that ‘giant’ particles may
act as ‘coalescence embryos’, initiating drizzle forma-
tion. Inmarine regions, large salt particlesmay serve as
these so-called ‘giant CCN’; large particles in the
atmosphere over continental regions tend to bemostly
insoluble, such as soils, and are probably not effective
CCN unless they are mixed with some soluble
material.

Aerosol Interactions with Cold Clouds

The production of ice in cold clouds is more compli-
cated than the activation of drops in warm clouds,
because the formation of an ice germ can proceed via
several pathways. Although bulk water can freeze at
01C, homogeneous nucleation of small ice crystals in
water drops does not occur readily above about
� 351C because it is difficult to overcome the energy
barriers to germ formation (e.g., surface tension of the
ice cluster–water interface).Measurable freezing rates
can occur in essentially pure supercooled water drops
(so-called homogeneous freezing nucleation) at
approximately � 351C, with the nucleation rate
increasing rapidly as temperature is decreased.
At temperatures above � 351C, an anhydrous or
insoluble heterogeneous ice nucleus is necessary to
initiate ice formation.

In the atmosphere, very large and dilute drops may
approximate pure water drops, but a more typical
situation is that homogeneous freezing nucleation
occurs in smaller haze particles or solution drops that
have formed on atmospheric aerosols. Freezing pro-
ceeds by a process similar to the homogeneous freezing
of pure water, but modified by solution effects. In
general, the effect of the presence of the solute is to
lower the temperature required to achieve a certain
nucleation rate in an equivalent-sized pure water
droplet, as illustrated in Figure 3 for a 15% by weight
aqueous solution of sulfuric acid, H2SO4. Freezing
rates in haze droplets depend not only on the temper-
ature, but also on the vapor saturation ratio, to which
the particles are exposed. At higher saturation ratios,
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and for larger dry particle sizes, the solution will be
more dilute, which generally tends to increase the
nucleation rate. The type of solute and the initial dry
particle size are thus two of the factors which
frequently control the temperatures and relative
humidities at which ice forms at less than � 351C in
the atmosphere. These factors, updraft or cooling rate,
and ice mass growth rate determine the concentration
of ice particles formed from a population of soluble
aerosol particles.

Certain particles that promote ice nucleation can
mitigate the above-noted scenario at temperatures
lower than � 351C and are responsible for ice forma-
tion at higher temperatures. Since the vapor pressure
over ice is always lower than that over liquid water,
particles exposed to temperatures below 01C and
relative humidities below 100% may be exposed to
conditions that are supersaturated with respect to ice,
but not with respect to liquid water. Hypothetically,
ice can form on insoluble or anhydrous particles by
direct deposition from the vapor, the so-called depo-
sitionmodeof ice formation, atwater saturation ratios
too low for deliquescence or activation of the particle
into a drop. In addition, nucleation of ice from
supercooled water inside drops can be initiated by
the presence of insoluble material having a surface
favorable to the energetics of ice crystal formation:
that is, by heterogeneous freezing nucleation. In such
cases, ice formation may be initiated at the point of
condensation (condensation freezing), via a nucleus

immersed in a drop at an earlier time (immersion
freezing), and by a contact freezing mode. In the latter
mechanism, the heterogeneous nucleus may just
touch the solution surface during a particle–particle
collision.

Heterogeneous nucleation is difficult to treat theo-
retically, but, referring to the cirrus cloud nucleation
scenario in Figure 3, the effect of the presence of an
immersion freezing nucleus would be to shift the
nucleation curve to the right of the one for homoge-
neous nucleation of pure water, that is, toward
higher temperatures. Although such heterogeneous
nuclei can initiate ice formation for smaller super-
coolings, and thus might be expected to dominate in
deeply supercooled clouds in the atmosphere, their
number concentration is much smaller than that of
haze particles that can freeze homogeneously. Thus,
the importance of heterogeneous nucleation is
somewhat diminished at low temperatures. Neverthe-
less, in some cases ice formation in a rising and cooling
air parcel may be initiated via a heterogeneous
mechanism, with the growth of the first-formed
crystals competing for available vapor with smaller
crystals nucleated later via a homogeneous pathway.
Such competition can affect the number concentra-
tion, microphysical structure, and radiative properties
of cirrus clouds. Heterogeneous ice nuclei, while
responsible for the onset of ice formation in most
other cold clouds, are not necessarily always the
critical catalyst for the precipitation process. Second-
ary ice formation processes exist that are critical
for precipitation formation in some modestly super-
cooled clouds and complicate a clear relation between
heterogeneous ice nuclei concentrations and ice crystal
concentrations and precipitation/latent heating
effects.

An atmospheric particle can form ice by any or all of
the mechanisms outlined here, depending on its size,
composition, and shape, and the environmental con-
ditions. Because of the multiple modes involved, it is
difficult to build instrumentation that canmeasure the
number and activity of ice nucleating particles in the
atmosphere, so that far less is known about the
abundance, distribution, and characteristics of atmos-
pheric ice nucleating particles than about their coun-
terparts, cloud condensation nuclei. However, it has
been shown that certain materials, such as silicates,
AgI, and some biological fragments, are effective
heterogeneous ice nucleating particles, and they have
thus been used in cloud seeding and snow making
applications. Elucidation of which substances present
in natural and anthropogenic aerosols are effective ice
nucleating particles for the various pathways and
under different environmental conditions is an ongo-
ing area of research.
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Effects of Anthropogenic Activities

Anthropogenic activities are directly or indirectly
responsible for a large fraction of the tropospheric
aerosol, even in relatively remote regions of the globe.
Because of the role of aerosols in cloud physics, there
are thus postulated links between anthropogenic
activities and cloud and climate modification. It has
been suggested that increased pollution from large
urbanized and industrialized regions can increase the
number concentrations of CCN available for cloud
formation downwind. With all other things being
equal, the higher number concentrations of CCN
active at typical cloud supersaturations would lead to
increased number concentrations of droplets, compet-
ing for the same amount of vapor. Therefore, the drops
cannot grow as large, hindering precipitation initia-
tion mechanisms. The affected clouds would be more
persistent, and would also have very different
radiative properties from the unmodified clouds.
Both of these changes have profound implications
for the hydrological cycle and climate.Aerosol–cloud–
climate interactions in ice clouds have also been
postulated.

By way of examples, aircraft emissions inject
particles directly into the upper troposphere, where
cirrus clouds form. Contrails form on these particles
under favorable environmental conditions, but it is not
known whether larger-scale effects, such as more
frequent formation of cirrus clouds, are also occurring
as a result of aviation emissions. There is some evi-
dence that aerosols from biomass burning processes,
such as those in South America that are related to
agricultural practices, modify cloud properties; in
addition to providing more CCN, the emissions
contain black carbon, which readily absorbs short-
wave radiation andwhen incorporated into clouds can
reduce their reflectivity. Windblown dust has many
natural sources, some of which can be related to
changes in land use that encourage desertification, and
therefore atmospheric dust concentrations are attrib-
utable in part to anthropogenic activities. Large dust
particles are generally insoluble and contain silicates
and thus they may provide a source of ice nucleating
particles. Large dust particles can also be modified as
they are transported through the troposphere; some
sampled dust particles havebeen observed tobe coated
with layers of soluble material. The addition of sol-
uble material may render them capable of serving
as large CCN. Even a small number concentration

(10�3 cm�3) of such large particles is thought to be
sufficient as a ‘seed’ to trigger the collision-coalescence
process and subsequent precipitation formation in
clouds. These brief examples illustrate how the aero-
sol–cloud physics link can have many important
implications in understanding present climate, as
well as in predicting the climatic effects of future
changes in aerosol emissions.

See also

Aerosols: Observations and Measurements; Physics and
Chemistry of Aerosols. Aircraft Emissions. Climate:
Overview. Cloud Microphysics. Clouds: Classification.
Global Change: Surface Temperature Trends. Reflect-
ance and Albedo, Surface. Thermodynamics: Moist
(Unsaturated) Air; Saturated Adiabatic Processes. Trop-
ospheric Chemistry and Composition: Aerosols/
Particles.
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Introduction

Aerosols suspended in the Earth’s atmosphere interact
with the light incident from the Sun and with the
terrestrial thermal radiation. The study of this inter-
action is important for understanding the present and
future climate system. Naturally occurring aerosols
reflect some of the incident solar radiation back to
space before it can be absorbed and converted to
heat: these include dust, sea salt, and stratospheric
sulfate aerosols formed during volcanic eruptions.
Anthro-pogenic aerosols released by the combustion
of biomass and fossil fuels increase both the reflec-
tion of solar radiation back to space and its absorp-
tion within the Earth’s atmosphere. It is necessary
to include the radiative effects of aerosols in
modern climate models in order to simulate recent
changes in global surface temperature with reasonable
fidelity.

For radiation incident on an aerosol particle, the
two basic interactions are scattering and absorption.
The combination of scattering and absorption is
termed extinction. Scattering is the deflection of an
electromagnetic wave from its original direction of
propagation. In geometrical optics, scattering occurs
when thewave propagates through amixture ofmedia
with different indices of refraction, for example,
aerosols suspended in air. The index of refraction is
the ratio of the speed of light in vacuum to that in a
given medium. In a more familiar setting, the differ-
ence in the indices of refraction for air and glass is
responsible for the focusing effect of lenses.

Absorption is the conversion of electromagnetic
energy into internal motions of molecules within the
aerosol. The molecules can rotate and vibrate in
discrete modes determined by quantum mechanics.
The amount of rotational or vibrational energy in each
mode corresponds to a particular frequency of light.
The frequency of light is the number of oscillations in
the electromagnetic wave per unit time, and for visible
light the frequency corresponds to color. When the
frequency of radiation incident on an aerosol corre-
sponds to the quantum modes of the aerosol mole-
cules, some of the radiation is converted into internal
energy. Aerosols can also emit thermal radiation
following Kirchhoff’s laws for the equilibrium be-
tween matter and radiation at constant temperature.

The amount of thermal energy emitted fromanaerosol
particle at each frequency is governed by Planck’s
theory. Due to the moderate temperatures in the
Earth’s atmosphere, almost all of the thermal radiation
is emitted at infrared wavelengths. The emission of
light from the Sun is also governed by Planck’s theory,
although the emission temperature is approximately
5770K.

The interaction of aerosols with sunlight and
terrestrial radiation can be calculated usingMaxwell’s
equations for electromagnetic radiation. These equa-
tions may be written in an approximate form for
radiation propagating through a mixture of gases,
aerosols, and clouds. The equations are supplemented
with Planck’s theory for the emission of light, the
optical properties of atmospheric constituents, and
data on the distribution and concentrations of these
constituents. The solutions quantify the effects of
natural and anthropogenic aerosols on the net energy
balance of the planet, the radiant energy absorbed in
the atmosphere, and the sunlight and thermal radia-
tion incident on the Earth’s surface.

Scattering and Absorption of Light

Beer’s Law for Direct Sunlight

Solar radiation incident on the top of atmosphere can
be treated as a traveling plane wave normal to the line
between the centers of the Earth and the Sun. The solar
radiation propagating through the atmosphere can be
partitioned into direct and diffuse radiation. Direct
radiation is sunlight that has not interacted with the
constituents of the atmosphere or the Earth’s surface.
Diffuse radiation is sunlight that has been scattered by
atmospheric constituents and/or by the surface. Direct
radiation is converted to diffuse radiation when it first
scatters from an atmospheric component or from the
surface.

As direct radiation propagates from the tenuous
upper atmosphere to the dense lower atmosphere, its
intensity is reduced by both scattering and absorption.
The basic principle governing the extinction of the
direct beam is known as Beer’s law or as the Beer–
Bouguer–Lambert law. The principle states that the
extinction through an optical medium is linear in the
intensity of radiation incident upon that medium. For
simplicity, only the effects of aerosols will be consid-
ered. Let n denote the frequency of light in units of
inverse time. Let IdðnÞ represent the intensity of direct
solar radiation at a frequency n. It is expressed in units
of energy per unit frequency interval, time, area, and
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solid angle. The solid angle is a measure of the
directions in which the wave is propagating. Let z
denote the distance from the top of atmosphere. In
mathematical form, Beer’s law is given by eqn [1].

dIdðnÞ
dz

¼ �rkeðnÞIdðnÞ ½1�

Here r is the density of the aerosols in units ofmass per
unit volume of air and keðnÞ is the specific extinction in
units of area per unit mass of aerosol.

The specific extinction is determined by the chem-
ical composition of the aerosols and by the number of
aerosol particles of different sizes per unit volume. For
spherical aerosol particles, the extinction may be
computed using Mie theory. Mie theory is often
applied to nonspherical particles as a first approxima-
tion, for example, dust particles and complex chains of
carbon compounds. The extinction is the sum of the
effects of scattering and absorption denoted by ksðnÞ
and kaðnÞ, respectively (eqn [2]).

keðnÞ ¼ ksðnÞ þ kaðnÞ ½2�
The optical depth is a unitless measure of how much
the radiation is reduced between two points, in this
case from the top of atmosphere to an altitude z. The
optical depth is equal to the integral of extinction over
altitude (eqn [3]).

tnðzÞ ¼
Z 1

z

rkeðnÞ dz ½3�

Beer’s law given in eqn [1] can be rewritten as eqn [4]
using the definition of optical depth. Equation [4]
shows that an increase in optical depth over some
altitude interval is equal to the fractional reduction of
intensity in that interval.

dIdðnÞ
IdðnÞ

¼ � dtn ½4�

The solution for the direct radiation at an altitude z is
simply given by eqn [5], where Id;0ðnÞ is the incident
intensity of sunlight at the top of the atmosphere.

IdðnÞ ¼ Id;0ðnÞ exp �tnðzÞ½ � ½5�
The exponential term is the transmission, which for
the direct beam is the fraction of incident radiation
reaching a particular altitude. The transmission is
always between 0 and 1.

When the optical depth at some altitude is much
greater than unity, Beer’s law shows that nearly all the
direct beam is extinguished before reaching that
altitude. When the optical depth is much less than
unity, the direct radiation is reduced by a fractional
amount almost equal to 1� tnðzÞ. The solution of the

radiative transfer equations to lowest order in tnðzÞ is
known as the single-scattering approximation. For
example, the global annual-mean aerosol optical
depth is roughly 0.1 for the present-day atmosphere.
Beer’s law predicts that aerosol extinction reduces the
direct beam at the surface to expð�0:1Þ � 90:48% of
its incident value. This reduction is nearly identical
to the estimate from the single-scattering approxima-
tion, which predicts that the direct beam is reduced to
1� 0:1 ¼ 90% of its incident value.

Local optical depths vary considerably about the
global annual-mean value. There are regions where
the aerosol optical depth is frequently large enough to
invalidate the single-scattering approximation. None-
theless, the approximation is sufficiently accurate for
calculating the global reflection, absorption, and
transmission of solar radiation by aerosols. The
estimates of these properties will apply to the entire
atmosphere and solar spectrum, so for simplicity the
explicit dependence on altitude and frequency will be
omitted from the equations and results.

Changes in Reflection, Transmission, and
Absorption

The amount of radiation extinguished from the direct
beam is approximately tnId;0ðnÞ. Some of the extin-
guished radiation is absorbed in the atmosphere, and
the remainder is converted to diffuse radiation. This
diffuse radiation can be further scattered or absorbed
in the atmosphere, although these effects are omitted
in the single-scattering approximation. One of the
main effects of aerosols on climate is in changing the
amount of sunlight reflected back to space. The change
in the planetary reflectivity, or albedo, is due entirely to
diffuse radiation reflected out of the atmosphere.

The process of scattering sends diffuse radiation in
all directions. The mathematical formalism for treat-
ing the subsequent propagation of diffuse radiation is
relatively complex. However, the main effects of
aerosols can be estimated using the two-stream
approximation to radiative transfer. In this simplifi-
cation, all the radiation propagating downward
toward the surface is combined in a single downward
flux of energy, or ‘stream’. This stream includes the
direct beam and any diffuse radiation scattered
towards the Earth’s surface. The downward stream
is represented by the symbol F#. All the diffuse
radiation propagating upward is combined into the
upwelling streamdenoted by F". The fluxes are in units
of energy per unit area per unit time and are conven-
tionally expressed in watts per squaremeter (Wm� 2).
For example, the global annual-mean solar flux
incident upon the top of the atmosphere is F#

0 ¼
342Wm�2.
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If the optical depth t of the aerosols is small and if
the radiation reflected by the surface is negligible, the
upwelling stream is given by eqn [6].

F" ¼ $btF#
0 ½6�

The factor $ is the ratio of scattering to total
extinction and is known as the single-scattering
albedo. The single-scattering albedo is the fraction of
incident energy scattered each time sunlight interacts
with an aerosol particle. In the two-stream approxi-
mation, the factor b is the fraction of scattered energy
that is reflected upward. For typical aerosols, b is
roughly 0.3. The single-scattering albedo determines
the total amount of radiation that is scattered in
interactions with aerosols, and the backscattering
ratio determines how much of the scattered radiation
is directed toward space.

For example, if $ ¼ 0:95, then 95% of sunlight is
scattered and only 5% is absorbed. If$ ¼ 1, no energy
is removed from the sunlight by absorption, and the
aerosol is called a conservative scatterer. For sulfate
and sea-salt aerosols,$ � 1 for visible light.However,
$ can be as low as 0.3 in visible wavelengths for black
carbonaceous aerosols generated by combustion.
Aerosols with $o0:9 in visible frequencies are con-
sidered to be quite absorptive.

From eqn [2], $ can be written in terms of the
specific extinctions as eqn [7].

$ ¼ ks
ke

½7�

The fractional absorption in each interaction of
sunlight with aerosols is known as the coalbedo and
is given by 1� $. Even if the coalbedo is very close to
zero for a single interaction, the amount of absorption
accumulates each time a beam of light interacts with
aerosols. The radiant energy is reducedby a factor of$
after each interaction. AfterN interactions, the energy
remaining is proportional to $N. In the single-scatter-
ing approximation, only one interaction is considered.
Therefore, the total amount of energy absorbed is
proportional to the coalbedo (see eqn [13]).

The change in the planetary albedoDR is the ratio of
the upwelling reflected radiation F" to the incident
radiation F#

0 (eqn [8]).

DR ¼ F"

F#
0

¼ $bt ½8�

To provide a realistic estimate of the change in
planetary albedo, the extinction by the rest of the
atmosphere should be included in the calculation. The
change in albedo is estimated using DRa ¼ faDR. The
empirical factor fa is approximately equal to 0.2 and

includes the effects of atmospheric gases, water vapor,
and clouds. For a nonabsorbing aerosol with $ � 1,
b ¼ 0:3, and t � 0:1, DRa � 0:006. Since the global
planetary albedo is approximately 0.3, the aerosols
increase the planetary albedo by roughly 2% in
relative terms. The corresponding increase in upwell-
ing flux is approximately 2Wm� 2.

If the optical depth t of the aerosols is small and if
the radiation reflected by the surface is negligible, the
downwelling stream at the Earth’s surface is given by
eqn [9].

F# ¼ 1� tð ÞF#
0 þ ð1� bÞ$tF#

0 ½9�
Aerosols have two effects on the downwelling solar
radiation at the surface corresponding to the terms on
the right-hand side of eqn [9]. The effects have
opposite sign and therefore partially offset one
another. The first effect is the reduction of the direct
beam by scattering and absorption. The second effect
is the addition of diffuse radiation that represents
sunlight scattered from the direct beam toward the
surface. Since b is the fraction of radiation scattered
upward, 1� b is the fraction of radiation scattered
downward. The reduction is equal to �tF#

0 and the
addition is equal to ð1� bÞ$tF#

0. Since the ratio of the
diffuse flux addition and direct-beam flux reduction is
as given by eqn [10], the increase in diffuse flux is
always less than the reduction in direct flux.

0 � ð1� bÞ$ � 1 ½10�
Therefore, the net effect of aerosols is to reduce the
total amount of sunlight reaching the Earth’s surface.
The change in transmission is the ratio of the change in
the downwelling flux to the flux incident on the top of
atmosphere. The expression for the change in trans-
mission is given by eqn [11].

DT ¼ F# � F#
0

F#
0

¼ ð1� bÞ$t� t ½11�

The amount of sunlight absorbed by aerosols can be
derived using the principle of conservation of energy,
which states that the energy in a closed system is
constant. The atmosphere is an example of an open
system since it can exchange energy and material with
the surface andwith space. However, the combination
of the atmosphere, the fluxes to the surface, and the
fluxes to space does comprise a closed system. In this
system, the albedo represents the flux to space, the
transmission represents the flux to the surface, and the
absorption represents the conversion of light to
internal energy within the atmosphere. The solar
energy incident on the atmosphere does not change
when aerosols are present. Therefore, the sum of
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changes in the albedo, transmission, and absorption
must equal zero (eqn [12]).

DAþ DRþ DT ¼ 0 ½12�
This condition can be solved for the absorption DA as
in eqn [13].

DA ¼ �ðDRþ DTÞ ¼ ð1� $Þt ½13�

Effects of Surface Reflection

When an aerosol layer is present above a nonreflective
surface, it always increases the atmospheric albedo. As
eqn [8] shows, DR is positive regardless of the optical
properties of the aerosol. The surface reflectivity Rs is
the fraction of radiation incident on the surface that is
reflected back into the atmosphere. Under overhead
Sun, the ocean may be treated as a nonreflective
surface because the reflectivity is just 3%. However,
there are surface types that reflect at least 50% of the
incident sunlight, for example sea ice, glaciers, snow,
and some desert areas. The effects of surface reflectiv-
ity can easily be calculated using the two-stream and
single-scattering approximations.

When the effects of surface reflectivity are included,
there are three corrections to the albedo DR computed
assuming Rs ¼ 0:

1. Incoming radiation interacts with the aerosol as it
propagates toward the surface. A fraction 1þ DT is
transmitted to the surface, and some of it is reflected
back to space.

2. Radiation reflected from the surface interacts with
the aerosol as it propagates toward space. A
fraction 1þ DT is transmitted to space.

3. Radiation reflected from the surface interacts with
the aerosol as it propagates toward space. A
fraction DR is reflected back to the surface, where
some it is reflected upward and is transmitted to
space.

These effects are illustrated in Figure 1.
In mathematical form, the change DR0 in planetary

albedo for aerosols above a reflective surface is given
by eqn [14].

DR0 � DR ¼ ðDTÞRs þ RsðDTÞ þ RsðDRÞRs ½14�
The three terms on the right-hand side of eqn [14]
correspond to the three effects discussed above. DR0

can be simplified using the conservation of energy (eqn
[12]) to rewrite DT in terms ofDA andDR. After some
algebraic manipulation, the resulting expression for
the albedo is as given by eqn [15].

DR0 ¼ ð1� RsÞ2 DR� 2Rs DA ½15�

It is easy to show that DR0oDR whenever Rs > 0.
This inequality states that surface reflectivity always
reduces the effects of aerosols on the planetary
albedo. There are two mechanisms for the reduction,
corresponding to the two terms on the right-hand
side of eqn [15]. First, when most of the sunlight
incident on the surface is reflected, the sunlight
reflected by aerosols is a relatively small component
of the upwelling flux. If the surface is completely
reflective, all solar radiation incident on the atmos-
phere is either scattered back to space or absorbed in
the atmosphere. Additional scattering by aerosols
cannot increase the diffuse radiation emitted to space.
Therefore, DR0 � 0 when Rs ¼ 1. Second, multiple
scattering of diffuse radiation between the aerosol and
the surface increases the fraction of incident radiation
that is absorbed. Because energy is conserved, the
absorption reduces the amount of sunlight that can be
reflected to space.

Under certain conditions, the presence of aerosols
will either reduce the planetary albedo or leave it
unchanged. If the albedo is reduced, then conservation
of energy requires that the absorption within the
combined surface–atmosphere system must increase.
More absorption results in greater internal energy, or
heat, within the Earth’s atmosphere or surface. Con-
sequently, when DR0 � 0 there is additional heating
within the Earth–atmosphere system. The conditions
for heating follow from substitution of DR and DA
(eqns [8] and [13]) into the inequality DR0 � 0. The
criterion, which was first discovered by Chylek and
Coakley, is given as [16].

ð1� $Þ
$b

� ð1� RsÞ
2Rs

2

½16�

1 ∆R 1

1 + ∆T

Rs + Rs∆T

Rs + Rs ∆T

Rs + ∆TRs1 1
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Figure 1 Interactions between incident sunlight, an aerosol

layer, anda reflective surface. The incident solar flux isF #
0 ¼ 1. The

albedo and transmission of the layer are DR and DT , respectively,

and the reflectivity of the surface is Rs. Solid black arrows point

along the direction of the sunlight, and dashes indicate where the

sunlight is attenuated by the aerosol layer.
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This condition is independent of the total aerosol
optical depth (or mass) present in the atmosphere. It
depends only upon intrinsic optical properties of the
aerosol. Regardless of the value of Rs, the condition
can always be satisfiedwith sufficiently small values of
either the backscatter fraction b or the single-scatter-
ing albedo$ .While there are no direct observations of
the global annual-mean surface reflectivity, climate
models predict that Rs ffi 0:12. For aerosols with a
typical value of b ¼ 0:3, the criterion indicates that
aerosols heat the climate system if$ � 0:51. Since the
measured values of $ rarely fall below 0.8, DR0>0.
Thus, aerosols cool the global climate system by
reflecting sunlight back to space before it can be
absorbed. Over regions with persistent ice or snow
cover at high latitudes, however, Rs can easily exceed
0.5. When Rs ffi 0:5, the criterion for heating is
$ �0:93. Carbonaceous particles released by com-
bustion frequently satisfy this condition on the single-
scattering albedo. Polar regions are therefore suscep-
tible to heating when the aerosols are only moderately
absorptive.

Interactions with Thermal Radiation

Aerosols interact with thermal infrared radiation from
the Earth’s surface and atmosphere, and aerosols can
emit additional thermal radiation. For aerosols near
the Earth’s surface, the effects on thermal radiation are
generallymuch less significant than the effects on solar
radiation. However, the thermal effects of thick dust
plumes and stratospheric aerosols are sufficiently large
to register on satellite instruments.

At infrared frequencies, the extinction by aerosols is
mostly due to absorption. To a reasonable approxi-
mation, scattering may be omitted from calculations
of infrared fluxes. In addition, the atmosphere and
surface both act as sources of thermal radiation. The
fluxof infrared radiation from the Sun is actuallymuch
smaller than these terrestrial sources and can be
neglected in most applications.

The Stefan–Boltzmann law states that the thermal
flux from a perfect thermal source at temperature T is
sT4. The constant s is the Stefan–Boltzmann con-
stant and is approximately equal to 5.67� 10�8

Wm�2 K� 4. A perfect thermal source, or ‘black
body’, is an optical medium that absorbs all thermal
radiation incident upon it. Aerosol layers are rarely
thick enough to qualify as perfect thermal sources.
Instead, the aerosols may be treated as ‘gray bodies’
that emit a thermal flux equal to esT4. The factor
e is known as the emissivity, and is a unitless number
between 0 and 1. The closer e is to 1, the more the gray
body resembles a perfect thermal source.

Suppose the gray body is surrounded by a perfect
thermal medium at the same temperature T. From the
laws of thermodynamics, the gray body will be in
thermal equilibriumwith the surrounding medium. In
equilibrium, the internal energy of the gray body is
constant. Since the gray body is emitting a flux of
thermal energy equal to esT4, it must also absorb
energy at the same rate. The flux incident on the gray
body from themedium is sT4 and a fractionDA of this
flux is absorbed. Because thermal equilibrium requires
that the absorbed and emitted fluxes are equal,
DA ¼ e. The transmission can be derived from the
conservation of energy (eqn [12]). If the gray body
does not reflect thermal radiation and DR ffi 0, then
the transmission is given by eqn [17].

DT&� DA ¼ �e ½17�

To simplify the analysis, various components of the
atmosphere may also be treated as gray bodies. The
emissivity of the stratosphere will be denoted by en.

The thermal effects of aerosols in the stratosphere
and near the surface are illustrated in Figures 2 and 3.
Stratospheric aerosols are often created by volcanic
eruptions, and aerosols near the surface result from
natural and anthropogenic processes. The infrared
fluxes can be analyzed with the same two-stream
techniques applicable to solar radiation. Let F"

t repre-
sent the upwelling flux from the troposphere incident
on the bottom of the stratospheric aerosol layer. Let F#

a

represent the downwelling flux from the atmosphere
above the surface aerosol layer incident on the top of
the layer. The temperature and emissivity of the
stratospheric aerosol are Tn and en, and the tempera-
ture and emissivity of the surface aerosol areTs and es.

The change in the upwelling flux at the top of
atmosphere has two components. The first represents

(1−�
*
)(1−��)F t

↑ (1−�
*
)���T�

4

Ft
↑

TOA

Stratosphere

Aerosol

Surface

(1−��)F t
↑ ���T�

4

Figure 2 Interactions of thermal infrared radiation with an

aerosol layer adjacent to the stratosphere. The temperature and

emissivity of the aerosol layer are Tn and en, respectively, and the

emissivity of the stratosphere is en. The upwelling infrared flux from
the troposphere incident upon the bottomof the aerosol layer is F "

t .

Arrows point along the direction of the radiation, and dashes

indicate where the radiation is attenuated by the aerosol layer and

the stratosphere.
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the reduction in F"
t by partial transmission through the

aerosol layer. The second represents the additional
thermal emission from the aerosol layer. The total
change in upwelling flux is given by eqn [18].

DF"
n ¼ enðsT4

n � F"
t Þð1� enÞ ½18�

A similar analysis of the surface aerosol layer shows
that the change in downwelling thermal flux is as given
by eqn [19].

DF#
s ¼ esðsT4

s � F#
aÞ ½19�

Reasonable values for the aerosol parameters for
aerosols located in the tropics are given in eqn [20].

Tn ¼ 195K en ¼ 0:005

Ts ¼ 295K es ¼ 0:05
½20�

For the purposes of illustration, the unperturbed
atmospheric parameters are given in eqns [21].

en ¼ 0:088

F"
t ¼ 240Wm�2

F#
a ¼ 380Wm�2

½21�

The resulting changes in the upwelling and downwell-
ing thermal infrared fluxes are given in eqns [22].

DF"
n ¼ �0:7Wm�2

DF#
s ¼ 2:5Wm�2

½22�

In this illustrative calculation, aerosols in the strato-
sphere decrease the outgoing infrared flux, while
aerosols near the surface increase the downwelling
infrared flux. In more realistic calculations, the ther-
mal infrared flux at the top of atmosphere will

generally decrease and the flux at the bottom will
generally increase. The basic reason is that the global
infrared flux emitted to space is equal to the radia-
tion from a perfect thermal source at temperature
T ¼ 255:5K. This atmospheric radiation is not in
equilibrium with aerosol layers at temperatures dif-
ferent from T. The absence of equilibrium means that
the colder stratospheric aerosols will absorb some of
the upwelling atmospheric flux, thereby reducing the
flux emitted to space. Similarly, the warmer strato-
spheric aerosols emit more radiation to the surface
than the atmosphere alone.

See also

Aerosols: Observations and Measurements; Physics and
Chemistry of Aerosols. Radiation (Solar). Radiative
Transfer: Absorption and Thermal Emission. Satellite
Remote Sensing: Aerosol Measurements. Solar Ter-
restrial Interactions. Tropospheric Chemistry and
Composition: Aerosols/Particles. Volcanoes: Role in
Climate.
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Figure 3 Interactions of thermal infrared radiation with an
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Introduction

Agricultural meteorology is an interdisciplinary
science concerned with discovering, defining, and
applying knowledge of the interactions between me-
teorological and hydrological factors and biological
systems to practical use in agriculture. An ultimate
goal of agricultural meteorology is to extend and fully
deploy knowledge of atmospheric and related pro-
cesses to optimize agricultural production, and hence
to increase profitability, decrease risk, and feed an
expanding global population. A second goal that is
taking on increased importance is to help conserve
natural resources and protect our soil, plant, and
water resources.

Environmental interactions of a wide range of
agriculturally related organisms are of interest to
agricultural meteorologists. Although most attention
has been focused on agricultural and horticul-
tural crops and forests, this segment of atmospheric
science also includes environmental interactions
with animals grown to provide food and fiber, insects,
plant and animal pathogens, and aquaculture species.
Agricultural meteorology, like the entire field of
meteorology, has its roots in the study of temperate
(mid-latitude) regions of the Northern Hemisphere.
In parallel with its parent discipline, agricul-
tural meteorology has more recently intensified its
focus on tropical agriculture, with some of the
same difficulties of paucity of data faced by tropical
meteorology.

The vagaries of weather always have been a leading
cause of variability in agricultural production,
but the technological era has increased this vulnera-
bility even as it has provided somemeans of insulating
agriculture from adverse conditions. So, for instance,
disease-resistant crops, wide availability of soil
amendments and chemicals for pest control, and
efficient tillage, planting, and harvesting equipment
have reduced agricultural vulnerability and increased
yields; however, larger fields and wide use of mono-
cultures have exposed crops to vector-borne diseases
and insects, and exposed soil to erosion by wind and
water. The use of chemicals, new varieties, and
genetically modified organisms has brought new
weather dependencies.

Agriculture is arguably the most weather-sensitive
sector of society. Forty percent of the land surface of
the Earth is classed as arid, semi-arid, and dry
subhumid but is home to millions of people, particu-
larly in developing countries. For some of these areas,
frequent crop failure due to adverse weather must be a
part of interannual planning by farmers and regional
and state policy makers. International agricultural
meteorologists, therefore, have significant concern
for famine and food security because of their close
link to interannual variability of weather and climate.
Even in areas having what are considered ideal
climates for crops, water management is a major
concern, particularly in regions where competing uses
of fresh water put increased pressure on agricultural
uses of water.

The historical focus of agriculture to produce food
and fiber for an expanding global population has been
supplemented by a new thrust at the beginning of the
twenty-first century.Agriculturists nowalsohave roles
in managing soil and landscapes to regulate flows of
carbon, nutrients, soil amendments, and pesticides.
Atmospheric transport of pesticides, spores, and
pollens (particularly those originating from genetical-
ly modified plant materials) must be quantified with
increased accuracy. Although uncertainty remains
large, consensus estimates of sources and sinks of
greenhouse gases such as carbon dioxide, methane,
and nitrous oxide reveal that agriculture has a signif-
icant role. For instance, agricultural sources of meth-
ane from ruminant animals, rice production, and
biomass burning are comparable to, or may exceed,
natural emissions on a global scale. Agriculture may
play a significant role inmoving society from its fossil-
fuel base for energy and materials to one that relies
more heavily on bio-energy and bio-based materials.
Tillage practices on natural prairie lands have reduced
soil carbon by up to 50% in the US Midwest.
Opportunities for agricultural recapture of soil carbon
by use of high-yield plant varieties, reduced tillage,
and improved management of crop residues, fertiliza-
tion, and irrigation are under consideration.

Most biological and chemical processes in the
biosphere are highly temperature- and moisture-
dependent, andmeteorology is the study of underlying
physics and chemistry that governs these processes.
Emerging recognition of the importance of bio-com-
plexity and ecosystem services and the need for
sustainable methods of agriculture and economic
development are creating new roles for agricultural

54 AGRICULTURAL METEOROLOGY AND CLIMATOLOGY



meteorology. Agricultural meteorologists, therefore,
can be expected to play an increasingly larger role in
working with scientists frommany disciplines to meet
the challenges of these new environmental concerns.

Fundamental Principles

Radiation

Agricultural meteorology is built on a foundation of
fundamental physical laws with applications to the
plant, animal, and soil environments. The principles of
radiation describe how radiant energy received direct-
ly from the sun and in diffuse form from the atmos-
phere is made available to plants for photosynthesis
and converted by solid and liquid surfaces into other
forms of energy. Approximately 40% of the radiation
emitted by the Sun is in the visible wavelength band
from 0.4 to 0.7 mm, sometimes referred to as the short-
wave band or, for biological applications, as the band
of photosynthetically active radiation (PAR). Radia-
tion with wavelengths just shorter than those in the
PAR zone is called ultraviolet radiation (UV-A from
0.32 to 0.40 mm, and UV-B from 0.28 to 0.32 mm).
Ultraviolet radiation is not used by plants for photo-
synthesis but it can damage living tissue of plants and
animals, particularly simple organisms.

Visible radiation may arrive at a leaf surface either
directly from the Sun or indirectly by reflection from
atmospheric molecules, clouds, or solid or liquid
surfaces (including other plant leaves). Leaf orienta-
tions and solar zenith angle cause the amount of
radiation received to vary over the course of the day.
The fraction of plan area of leaves to ground area
covered by the plant (including only one side of the
leaf) is called the leaf area index (LAI) and is used to
describe the area of the plant available for photosyn-
thesis.

Radiation of wavelengths just larger than visible
light is called long-wave or infrared radiation,with the
band from about 0.7 to 1.5 mmbeing referred to as the
near-infrared region, which accounts for about 40%
of the solar spectrum. Wien’s displacement law (eqn
[1]) relates the wavelength of radiated energy to
temperature.

l ¼ 2897

T
½1�

In eqn [1], l is the wavelength (in mm) and T is the
temperature in K.Wien’s law can be used to show that
most terrestrial surfaces emit radiation of 8–12 mm,
with most growing plants radiating at about 10 mm.
The amount of drymatter produced by a plant per unit
absorbed PAR is a measure of its light-use efficiency
(LUE), with typical values being from 1.5 to 4.5 g dry

matter per megajoule. Chlorophyll in leaves makes
plants much less reflective in the PAR region than in
the near-infrared (by a factor of 4 for corn and
soybeans), a fact that allows remote assessment of
photosynthesis by use of the normalized differ-
ence vegetation index (NDVI) derived from satellite
observations.

Heat Balance

Thermodynamic principles provide the basis for rela-
tions among atmospheric pressure, temperature, and
density (ideal gas law), as well as the transfer and
conversion of energy (first law of thermodynamics). A
primary focus of agricultural meteorology is the
balance of energy (conservation of energy) for the
system being studied, such as ametabolizing organism
or a plant-covered or soil surface. For an organism we
can describe the steady state heat balance by eqn [2].

Rn þM ¼ Cþ LEþG ½2�
In eqn [2],Rn is the net gain of heat from radiation;M
is the net gain of heat from metabolism; C is the loss
of sensible heat to air by convection; LE is the loss of
latent heat by evaporation of water; G is the loss of
heat to ground and vegetation by conduction. E is the
evaporation rate (flux of water vapor per unit area),
and L is the latent heat of vaporization. All quantities
are considered to be averaged values per unit area. For
applications to animal agriculture, M is likely to be a
significant factor, but for a soil or vegetated surface,
the metabolism contribution is negligible. The radiant
component of energy consists of absorbed incoming
short-wave energy less net emitted long-wave energy.

A plant canopy uses a portion of the short-wave
component of this net incoming radiant energy for
photosynthesis. In a balanced condition, the plant uses
its evapotranspiration capacity to regulate its temper-
ature by converting excess sensible heat to latent heat.
Most agricultural animals, like humans, also have the
capacity to rid themselves of excess heat by means of
evaporation.

Surface Aerodynamics

The aerodynamics of plant interactions with the
atmosphere provides a basis for understanding how
plants exchangemoisture, trace gases, and heat energy
with and extractmomentum from the free atmosphere
through turbulent processes. Descriptions of the
movement of pollen, spores, insects, and chemical
sprays also require information about mean and
turbulent flow processes on scales of centimeters to
hundreds of kilometers.

Simple representations of atmosphere–surface in-
teractions are given by drag coefficient formulations of
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vertical fluxes of quantity S from a surface as given in
eqn [3].

Fs ¼ �UtðSt � SsurfÞ ½3�
Ut is the transport velocity for the interface and the
values of S are taken at height t and at the surface. The
transport velocity at the Earth’s surface is usually
parametrized by use of a drag coefficient (CDs) for the
quantity S and the mean wind speed at some level
(usually taken to be 10m), i.e. fV10g (eqn [4]).

Ut ¼ CDsfV10g ½4�
Drag coefficients depend on atmospheric stability
but are typically in the range 1�10� 3 to 5�10�3

(dimensionless).
Concepts of gradient or Fickian diffusion have been

used to describe fluxes bymeasuring vertical gradients
and using assumptions or additional measurements to
estimate transfer coefficients. Under this approach, the
turbulent flux of a quantity is proportional to the
vertical gradient of its mean quantities above the
surface, eqn [5].

Fs ¼ �Ks
qs
qz

½5�

where Ks is the turbulent diffusion transfer coefficient
for variable s, usually estimated tobekunz (kbeing von
Karman’s constant (0.4) and un being the friction
velocity) with an additional stability correction factor
and constant for each variable s. Equation [5] with an
assumed form ofKs is used to derive vertical profiles of
temperature and horizontal windspeed over homoge-
neous surfaces. Profiles inside crop canopies are more
complicated and are usually specified by empirical
relations.

Evaporation and Precipitation

Agriculture is practiced over large regions of the Earth
where water excess or water deficit is a major
limitation for successful crops. Therefore, a major
focus of agricultural meteorology and climatology is
the study of precipitation and evaporation. The heat
balance equation can be used to provide an estimate of
the evaporation rate for a surface from knowledge
of other components of the heat budget by a type of
Penman–Monteith equation (eqn [6]).

LE ¼ DðRn �HGÞ þ Fw

Dþ g
½6�

In eqn [6] D ¼ RHs qqs=qT, where RHs is the
saturation relative humidity and qs is the saturation
specific humidity; HG is the soil heat flux; Fw ¼
CEbðRHp � RHaÞ, where CE is the bulk transfer

coefficient for moisture, b ¼ un=CD, RHp is the
relative humidity at the plant or soil surface,
RHa is the ambient relative humidity, un is the
friction velocity, and CD is the drag coefficient; and
g ¼ cp=L, where cp is the specific heat capacity of
air at constant pressure. In some implementations, D
and Fw are replaced by factors that include canopy
and atmospheric resistances to flow of heat and
momentum.

Both amount and timeliness of precipitation and
evaporation are of critical importance to agriculture.
Irrigation scheduling requires reliable climate infor-
mation as well as good weather forecasts, particularly
with increased competition for fresh water due to
increased population and expanded uses of water.
Food security exacerbates the vulnerability of many
precipitation-deficient developing countries to inter-
annual variability of precipitation and raises the
urgency of improved seasonal to interannual forecasts
of weather and climate.

Instrumentation, Measurements,
and Networks

Agricultural climatology relies on records of basic
meteorological measurements having been taken over
extensive areas and significantly long periods of time.
These records form the basis for understanding
climate variability and change and also for extracting
statistically significant relationships between meteor-
ological variables and soil and plant processes, plant,
animal, and pest development, and seasonal yield. In
addition to standard atmospheric measurements,
agriculturists need measurements of soil temperature
and soil moisture. These measurements are less widely
recorded although they (especially soil moisture) are
being recognized for their role in climate memory and
hence seasonal forecasting. More such measurements
and networks for measurements are needed, particu-
larly in developing countries where use of technology
to reduce vulnerability to climate variability is severely
limited.

The central role of the surface energy balance in
agriculturalmeteorology calls for accuratemethods of
evaluating fluxes of heat, momentum, moisture, and
trace gases from crop, soil, and forest surfaces.
Unfortunately, this is not an easy task for heterogene-
ous surfaces typically encountered in agricultural
applications. Estimates of surface fluxes can be
made: by drag coefficient formulations and gradient
diffusion estimates, or by eddy correlation methods.

The most direct measurement of vertical fluxes is
accomplished by using eddy correlation methods,
which have seen increaseduse due towider availability
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of improvements in sensors and recording and in data
archiving equipment and methods. Eddy correlation
methods are based on the principle that turbulent flow
near the Earth’s surface can lead to vertical fluxes
of heat, moisture, momentum or trace gases in the
absence of a mean vertical flux of dry air. We express
the vertical flux of quantity s as Fs ¼ csrwðtÞsðtÞ, with
a time-averaged value given by fFsg ¼ csrfwðtÞsðtÞg,
where cs is a constant for the particular quantity being
transported, r is the dry air density, and w is the
vertical wind speed. We can express w as a sum of a
time-independent mean and a time-dependent turbu-
lent component, wðtÞ ¼ w0 þw0ðtÞ, and similarly for
s, sðtÞ ¼ s0 þ s0ðtÞ. We can then write eqn [7].

Fs ¼ csrðw0 þw0ðtÞÞðs0 þ s0ðtÞÞ
¼ csr½w0s0 þw0s

0ðtÞ þw0ðtÞs0 þw0ðtÞs0ðtÞ� ½7�

After time averaging, this becomes eqn [8].

fFsg ¼ csrfw0s0g þ csrfw0s
0ðtÞg

þ csrfw0ðtÞs0g þ csrfw0ðtÞs0ðtÞg ½8�
Thefirst two terms on the right-hand side of eqn [8] are
zero because the mean vertical wind speed is zero. The
third term vanishes because, by definition, the mean
fluctuation of the vertical wind is zero. The last term
can be nonzero, however, if the fluctuation of the
vertical wind has correlation other than zero with the
fluctuating part of s. The time-averaged turbulent flux
of s then reduces to fFsg given by eqn [9], which can be
computed by combining measured w0 and s0 taken
from simultaneous recordings of fast response meas-
urements of wðtÞ and sðtÞ.

fFsg ¼ csrfw0ðtÞs0ðtÞg ½9�
TheBowen ratio is defined as the ratio of heat flux to

moisture flux near the surface (eqn [10]).

B ¼ C

LE
¼ cpfw0T 0g

Lfw0q0sg
½10�

From eqn [2], ignoring metabolic contributions, we
can express the sensible heat flux and latent heat flux,
respectively, from the surface as in eqns [11] and [12].

C ¼ BðRn �GÞ
1þ B

½11�

LE ¼ Rn �G

1þ B
½12�

Flux measurements by the eddy correlation method
present challenges that can lead to uncertainty of
5–30%. For a particular situation being sampled, an

appropriate averaging timemust be selected to be long
enough to ensure a sufficiently large sample but not so
long as to mix turbulent processes with phenomena of
longer time scales. Perhaps a more serious problem is
the ‘representativeness’ issue: Fluxes at a point over an
agricultural field are not completely vertical, particu-
larly where inhomogeneities exist in the field. It can be
difficult to specify the ‘surface footprint’ from which
the surface flux emerged for situations having chang-
ing wind directions, terrain irregularities, changing
levels of atmospheric stability, or inhomogeneities of
surface vegetation, soil moisture, or soil type. Year-
long measurements of CO2 flux over a mixed-species
forest in irregular terrain, for instance, would require
considerably more care in interpretation than daytime
measurements over a flat field of corn. Despite the
additional expense and care needed in conducting
measurements and additional effort for analysis, eddy
correlation measurements are increasingly being used
for evaluating surface fluxes of CO2 and other trace
gases and moisture.

Measurement networks have been established by
some local, state, federal, and international agencies to
provide both an expanding climate database and a
basis for near-term and seasonal agricultural decision
making. There is an urgent need to expand these
networks to meet the increasing food needs, particu-
larly in developing countries. Remote sensing by
satellite is finding expanded use in providing large-
scale data of relevance to agriculture, but its use for
individual farmers is limited.

Modeling and Theory

Modeling of plant interactions with the atmosphere
has emerged from at least two directions: global
climate modelers seeking more accurate representa-
tion of energy, momentum, and moisture budgets at
the Earth’s surface, and cropmodelers seekingways of
understanding plant responses to climate and of
projecting yields of agricultural crops. Climate scien-
tists use the so-called soil–vegetation–atmosphere
transfer (SVAT) models as ‘surface packages’ to which
they supply meteorological data at each surface grid
point at eachmodel time step (a fewminutes to hours).
The SVAT model then calculates the response of the
soil and plants (e.g., evaporation or transpiration,
temperature change, soil moisture content, moisture
uptake by roots, rain or dew held on leaves, precip-
itation runoff, momentum extracted) and returns to
the climate model the surface fluxes of heat, moisture,
and momentum consistent with these soil- and plant-
based changes. Computational constraints limit the
detail to which plant processes can be described, but,
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simplistic as they are, the models provide a conceptual
framework for eventual coupling of more detailed
crop, forest, and ecosystem models.

Crop models may be physiologically based or
statistically based. Crop growth models are built on
plant biophysical processes of agricultural crops and
their relationship to environmental factors. They
predict growth, development, and yield based on
complex interactions between weather, soil character-
istics, nutrients, and plants. A practical application of
crop growth models is to estimate agricultural pro-
duction as a function of weather and soil conditions
under alternative management conditions. Basic me-
teorological information needed to drive these models
includes air temperature, precipitation, and solar
radiation (or sunshine hours). More advanced models
might additionally use dew-point temperature, wind
speed, and soil temperature. Statistically-based crop
models provide large-area yield predictions based on
correlations of past yields with regional average
weather conditions. These models tend to be much
less computationally intensive, but alsomore location-
specific and hence less transferable to other regions.

The fate of fugitive agricultural chemicals and
movement of insects and pollen are addressed by
models of atmospheric flow on scales of turbulent
eddies to mesoscale meteorology. Large-eddy simula-
tion (LES) models and models developed for use in air
pollution regulation are sometimes adapted for sim-
ulating transport of agriculturally related materials.
Recent advances in numerical simulation of turbulent
flow through vegetation have been used to understand
the aerodynamic functioning of agricultural shelter-
belts. Extensions of these models to simulate the
complete microclimate provide opportunities for
exploring, by use of first principles, complex phy-
sical relationships in heterogeneous ecosystems and
landscapes.

Concern for national and international food security
has prompted the need for models of seasonal yield of
various food crops. Private organizations as well as
governmental agencies have developed yield models
basedon long-rangeweather conditions.TheFoodand
Agriculture Organization of the United Nations has
developed agrometeorological models that forecast
yield on the basis of cumulativeweekly or ten-day crop
water balances for providing early warning of poten-
tial food security problems in developing countries.

Manipulating Microclimates to
Enhance Productivity and Reduce Risk

Agriculturists have a long history of enhancing crop
growth by manipulating soil and plant microclimates

through use of irrigation, glass-houses, shelterbelts
and windbreaks, snow fences, wind machines, surface
mulches, certain tillage practices, alley-cropping, and
agroforestry. The design and operation of such mod-
ifications require considerable information on the
mean, extremes, and interannual variability of climate
at the specific location where the practice is imple-
mented.

Horticulture crops, which typically have a higher
value per unit area than grain crops, are sensitive to
small changes in microclimate. Also in contrast to
grains, horticulture crops are more sensitive to weath-
er-induced reduction in product quality or market
value. For instance, the desirable red coloration on
some fruits is sensitive to optimal amounts of solar
radiation at a critical stage. Manipulation of micro-
climates for horticultural crops is more cost-effective
than for cereals because of both their high value and
their sensitivity of quality to microclimate. Weather
extremes may have multiyear impacts on agricultural
crops grown as perennials (e.g., fruits, nuts, grapes),
which raises the cost-effectiveness of microclimate
modifications for reducing such extremes.

Agriculture Meteorology Forecasts

Agriculturists can use weather forecasts with valid
times of a few minutes to several months. Weather
forecasts are used for planning tillage and planting
operations, seed purchase, chemical application, frost
suppression, grain harvesting, transport and storage,
pest and disease management, and marketing, as well
as crop growth calculations and long-range planning.

Major improvements over the past 10 years in our
understanding of the El Niño/Southern Oscillation
(ENSO)-related phenomena have enhanced prospects
for seasonal to interannual forecasts of agriculture-
sensitive climate information. Such information now
is being used in early warning systems for planning,
management, andoperations in some tropical areas. In
regions where the climate correlation with ENSO is
strong, projected ENSO factors have been used to
create projections of stress indices. Other than in the
Tropics and a few extratropical locations, the ENSO
signal in climate is muted or absent. However, current
research on this and related areas may offer future
progress in seasonal to interannual forecasts.

Climate Data

Agricultural climatologists use long-term records of
standard meteorological data to compute derived
agriculturally related variables such as growing degree
days, heat stress units, frost-free days, Palmer drought
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index, and temperature-humidity index. These varia-
bles have been developed from physiological con-
cepts to correlate with crop development stage, crop
yield, daily milk production, or other agriculturally
important parameters.

Education and Training

Basic education for agricultural meteorologists is
usually acquired by supplementing a conventional
meteorology, physics, or environmental science cur-
riculum with courses on plant, soil, or animal science,
forestry, or horticulture. Only a few US and European
universities offer undergraduate or graduate degrees
specifically in agricultural meteorology, and only one
university on thewholeAfrican continent offers such a
degree at the batchelor’s level. Most courses of study
with emphasis in agricultural meteorology are con-
nected with more traditional programs in agriculture
such as agronomy. India has taken amore coordinated
approach than almost any other country to the
university education of agricultural meteorologists.

The practical applications of agricultural meteorol-
ogy have created needs for training programs aimed at
changing the knowledge, skills, and behavior of
personnel to achieve the objectives of the organiza-
tions they work for. The World Meteorological
Organization provides in-service training through
regional meteorological training centers that offer
specialized courses in basic agricultural meteorology,
database management, agricultural meteorology
modeling, and hydrometeorology. These short courses
tend to be task-oriented, focusing on improving and
standardizing the practice of agricultural meteor-
ology, particularly in relation to observations and
data management.

Rapid advances in the field of meteorology have
increased the need for more lifelong learning oppor-
tunities both in basic education and in training.
Increased interest in global observing networks for
monitoring a wider range of environmental variables
exacerbates this need. The Internet offers a potential
means of delivering standardized and authoritative
educational and training materials to larger fractions
of the global agricultural meteorology community.

Future Issues

The potential impact of global climate change on
agriculture has been a subject of intense study in recent
years. Uncertainties in projections of future climates at
regional scales limit the accuracy with which agricul-
tural impacts can be estimated. However, there is high
confidence that increases in atmospheric carbon

dioxide will have a beneficial effect on crops both
through direct fertilization and through increased
water use efficiency. The mean yield increase for C4

crops (e.g., maize, sugar cane, millet, and sorghum)
under a doubling of atmospheric CO2 is minimal,
whereas increases for C3 crops (most other plants) are
approximately 30%, other factors being equal. Loss of
soil organic matter, leaching of soil nutrients, and
salinization and erosion of soils will occur in some
climatic zones, which will call for more effective
agricultural land use practices. Crop yields and pro-
ductivity will vary considerably across different cli-
mate zones under global warming, with low-latitude
and low-income countries being most negatively
affected and some high-latitude countries experienc-
ing more favorable crop growing conditions than
under the current climate.

Advances in our knowledge in the traditional areas
of agricultural meteorology – surface fluxes of energy,
moisture, and trace gases, and the study of precipita-
tion and evaporation processes – will be urgently
needed for coping with interannual variability and
long-term change of future climates. And practical
applications of this new knowledge require timely,
efficient, and worldwide distribution networks.

Better understanding of basic agricultural micro-
meteorology and associated plant and soil processes
will allow for continuing advances in applied agricul-
tural meteorology as well as at larger scales of
meteorology. Measurements of heterogeneities in soil
and microclimate across a field are increasingly being
used for site-specific management of plant environ-
ments and yield improvement. At larger scales, the
subtle processes regulating the exchange of moisture
and energy of plants and soil with the atmosphere are
key to improvements in numerical models of meso-
scale meteorology and global climate.

See also

Boundary Layers: Surface Layer. Energy Balance
Model, Surface. General Circulation: Energy Cycle.
Hydrology: Soil Moisture. Large Eddy Simulation.
Synoptic Meteorology: Forecasting. Ultraviolet Radi-
ation. Weather Prediction: Adaptive Observations; En-
semble Prediction; Seasonal and Interannual Weather
Prediction; Severe Weather Forecasting.
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Introduction

Human society is becoming increasingly dependent on
aircraft for long-distance travel and shipping. Among
transportation modes, aviation is the fastest-growing;
the current passenger growth rate is approximately
4% per year and the average growth rate since 1960
has been nearly 9% per year. The fraction of transport
fuel use by aviation has risen steadily to about 13%
currently. Because of the robust growth rate, concern
has been expressed over possible environmental
impacts of future aircraft operation. Vigorous science
and technology programs have been pursued over the
last decade to define potential atmospheric impacts
and identify technological strategies to reduce specific
exhaust emissions. Environmental compatibility
issues have also been central to efforts to develop
future aircraft technologies such as high-speed (i.e.,
supersonic) civil transport.

Jet aircraft burning hydrocarbon-based fossil fuels
transport the bulk of air passengers and freight.
Currently there are over 15 000 aircraft serving nearly
10 000 airports worldwide and burning nearly 140Tg
of fuel per year. By the year 2015, fuel burn by aviation
is forecast to increase to approximately 300Tg per
year. As with other fossil fuel transportation technol-
ogies, jet aircraft operation results in gaseous and
particle combustion byproducts. Aircraft engines emit
principally carbon dioxide (CO2) and water (H2O)
withminor contributions fromnitrogen oxides (NOx),
sulfur oxides (SOx), unburned hydrocarbons (HC),
and soot. All of these exhaust species are atmospheric
pollutants. CO2 and H2O are greenhouse gases that
affect the Earth’s climate directly. NOx and HC are
reactive gases that affect atmospheric ozone and
methane levels. Soot, SOx, HC, and H2O are aerosol
and cloud precursors that affect ozone and climate.

A major difference between aviation and other
transportation modes is in the atmospheric placement
of the combustion exhaust products. Unlike autos and
trucks, by far the greater part (485%) of aircraft
exhaust is released above the planetary boundary layer
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(42 km) and a large fraction (B70%) of it is released
in the upper troposphere (UT) and lower stratosphere
(LS) between 9 and 13km. Consequently, the major
polluting effects of aircraft are expected to occur in the
UT/LS region of the atmosphere.

The dynamics of the UT/LS region differ from those
of the boundary layer in that there is less vertical
mixing and less diurnal variation in wind direction.
Because of these differences, pollutants emitted into
the UT/LS reside there longer and can spread over
considerable longitudinal and, in some cases, latitudi-
nal distances. Although aircraft exhaust is released in
geographically narrow flight routes and corridors, its
injection into the UT/LS means that the polluting
effects of aircraft will be felt on regional and, perhaps,
global scales. The longer residence times also enable
some pollutants, such as NOx, to spend extended
times cycling through catalytic chemical reaction sets
that create or destroy ozone. Because of such enhanced
catalytic chemical cycling in theUT/LS, the impact of a
given amount of aircraft emissions on atmospheric
ozone and climate may be much greater than the same
amount of emissions from ground transportation
sources.

There are also important dynamical and chemical
differences between the UT and LS regions that com-
plicate any analysis of aircraft effects. For example,
the lifetime of ozone and the chemical mechanisms
controlling its concentration are sensitive functions of
altitude in the vicinity of the tropopause. Because of
this altitude dependence, the sign of the ozone
response to injections of NOx shifts from positive
(net ozone formation) to negative (net ozone destruc-
tion) at altitudes slightly above the tropopause (i.e.,
the transition between the stratosphere and tropo-
sphere). The partitioning of aircraft exhaust between
the UTand LS is difficult to define (estimates differ by
factors of two) because of the high variability and
latitudinal dependence of the tropopause height.

Aircraft Exhaust Products

Jet engines on modern aircraft are composed of three
essential elements: compressors that increase the
pressure and temperature of the entering air, combus-
tors that mix and burn fuel with incoming air, and
turbines that convert the hot gas energy, through
compressor activity, to bypass airflow that propels the
aircraft. The fuel-to-air ratio in modern combustors is
approximately 1 : 9, hence large quantities of ambient
air are processed in aircraft engines. Jet fuel is
composed predominately of high-weight (C12–C15)
alkanes, with substantially smaller quantities of
alkenes and aromatics present. An important trace

species in the fuel is sulfur, which can represent up to
0.3% (by weight) of the fuel content.

Combustion of the fuel hydrocarbons to produce
CO2 and H2O is nearly complete (499.5%) in
commercial aircraft engines. In addition, the fuel
sulfur is converted to sulfur dioxide and sulfuric acid,
although the precise mechanism for this process
remains uncertain. The small fraction of incompletely
combusted fuel hydrocarbons give rise to CO and
various smaller gaseous hydrocarbons (HC) such as
ethene, ethine, and formaldehyde. Under fuel-rich
combustor conditions, breakdown of the fuel hydro-
carbons leads to formation of soot particulates com-
posed primarily of carbonaceous material. The rate-
limiting process in soot formation appears to involve
the oxidation of C2 species such as acetylene (C2H2).
Decomposition of ambient nitrogen and oxygen also
occurs in the high-temperature portions of the com-
bustor, giving rise to the important atmospheric
pollutants nitric oxide (NO) and nitrogen dioxide
(NO2) (i.e., NOx) (Table 1).

Aircraft Technology Considerations

Aircraft engine and airframe technologies have under-
gone dramatic improvements over the last 30 years.
One result of these improvements has been a 70%
reduction in fuel burned per passenger seat from early
to current jets. Gains in fuel efficiency are of benefit
both economically and in environmental terms by
reducing fuel costs and uniformly lowering CO2,
H2O, and SOx emissions. These gains have derived
primarily from increasing gas temperatures and pres-
sures inside the engines.Without concomitant changes
in engine design, increasing engine temperature leads
to increasing NOx emissions.

Concern over urban pollution has led to increas-
ingly stringent standards being adopted by the Inter-
national Civil Aviation Organization (ICAO)
regarding emissions of smoke, CO, HC, and NOx.
Aircraft smoke refers to visible particulates in the
aircraft plume and presumably includes the large
diameter (41mm) part of the soot population. The

Table 1 Approximate emission index levels for cruise level

operation of current commercial jet aircraft

Species Emission index (g kg� 1)

CO2 3160

H2O 1240

CO 2

HC 1

NOx (as NO2) 12

SOx (as SO2) 0.8

Soot 0.04

AIRCRAFT EMISSIONS 61



ICAO standards have both reflected and motivated
improvements in engine design andmanufacture. How-
ever, because the service lifetime of an individual aircraft
is between 25 and 40 years, the current fleet consists of a
combination of older and newer technologies.

Measurement of aircraft cruise emissions is an
important facet of assessing impacts and documenting
technological advances. These difficult measurements
are made either in altitude simulation test cells or by in-
flight measurements utilizing target and chase aircraft.

Aircraft Operational Considerations

Airline traffic patterns are highly inhomogeneous,
with the bulk of current traffic located inside well-
defined ‘flight corridors’ in the Northern Hemisphere
(Figure 1). The chemical lifetimes of aircraft exhaust
products such as NOx, soot, and sulfate injected in the
UT/LS are comparable to atmospheric mixing times.
Consequently, a number of the aircraft chemical

perturbations are expected to be localized in regions
around the flight corridors. A great deal of work has
been done to compile accurate inventories of aircraft
emissions. These efforts have involved development of
aircraft movement databases based on simplifying
assumptions about the airframe–engine combinations
used and the paths flown between various city pairs.
Combining these movement databases with informa-
tion on individual aircraft emission rates enables
construction of global emissions inventories. For
atmospheric modeling purposes, the aircraft emission
databases are divided into spatial bins that are 11
longitude� 11 latitude� 1km altitude.

Impacts on Carbon Dioxide and Water

Although they are the most prevalent exhaust prod-
ucts, emissions of CO2 and H2O from aircraft repre-
sent relatively small sources of these species compared
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with the many other large natural and anthropogenic
sources.Givenpast and current emission rates, aircraft
are responsible for increasing atmospheric CO2 levels
by approximately 1 ppmvor 2%over the last 50 years.
Because CO2 is very long-lived in the atmosphere and
is well mixed, it is impossible to distinguish the
CO2 emitted from aircraft from any other source.
Perturbations due to aircraft H2O emissions are far
less than 1% globally. These small perturbations are
impossible to detect on the large scale because water
vapor has a short (days to weeks) tropospheric
residence time and its ambient concentrations are
highly variable. At very small spatial scales, H2O
perturbations from aircraft are substantial and can
lead to contrail and cirrus cloud formation. These
effects have important climate consequences that will
be discussed below.

Impacts on Ozone and Methane

Ozone chemistry throughout the stratosphere and
troposphere is driven by solar-initiated free radical
reactions. Aircraft emit a number of species (i.e., NOx,
SOx, H2O, CO, and soot) that participate in ozone-
controlling reactions of free radicals and free radical
precursors. The relationship between aircraft exhaust
products and ozone is complex and depends on the
balance between a number of ozone-forming and
-depleting chemical processes. These processes are
summarized in the next two sections along with
observational evidence that addresses the magnitude
of the aircraft effect on ozone.

Atmospheric Chemistry

Nitrogen oxides in the UT/LS participate in both
ozone-forming and ozone-depleting reaction cycles.
The balance between these processes, and their
response to changes in ambient NOx levels, are
sensitive functions of altitude. In the UT region, the
primary influence of NOx is on the production of
ozone from CO and CH4 oxidation. The CO cycle
involves the following reactions:

OHþ CO ! Hþ CO2 ½I�

HþO2 þM ! HO2 þM ½II�

HO2 þNO ! NO2 þOH ½III�

NO2 þ Sunlight ! NOþO ½IV�

OþO2 þM ! O3 þM ½V�

Net: COþ 2O2 ! CO2 þO3

(where M represents a gaseous third body such as N2

or O2). An analogous mechanism, which includes the
reaction between NO and CH3O2, exists for CH4

oxidation.
The overall rate of ozone production from CO and

CH4 oxidation decreases generally with height be-
cause of decreasing ambient concentrations of COand
CH4. However, as can be seen from the above reaction
sequence, the production rate depends also on the
ambient concentrations of NO andOH. For example,
increasing OH and NO will increase the rates of
reactions [I] and [III], respectively, thereby increasing
the ozone production rate. At high enough concentra-
tions of NOx (4500 pptv) the ozone production rate
begins to decrease owing to the increasing importance
of NO2 reactions that remove HOx species, i.e.,

OHþNO2 þM ! HONO2 þM ½VI�

HO2 þNO2 þM ! HO2NO2 þM ½VII�
In the LS region, the primary influence of NOx is

on destruction of ozone by the following radical-
catalyzed processes:

OþXO ! XþO2 ½VIII�

XþO3 ! XOþO2 ½IX�

Net : OþO3 ! 2O2

(where X5NO, Cl and OH). Increases in ambient
NOx due to aircraft emissions will enhance ozone
destruction for the case where X5NO but will
decrease ozone destruction for the case X5Cl by
removing ClO through reaction [X]:

ClOþNO2 þM ! ClONO2 þM ½X�
The exact balance between these contrary effects
depends on the background concentrations of NOx

and ClOx. Throughout most of the year, the net effect
of increasing LSNOx levels through aircraft emissions
will be to increase ozone concentrations. An exception
is at high latitudes in summer, when NOx levels are
high. In that case, addition of NOx will decrease
ozone.

Increasing NOx levels due to aircraft exert an
indirect effect on atmospheric CH4 concentrations.
This effect is initiated by the formation of OH radicals
in reaction [III]. The increased levels of OH in the air
traffic corridors lead to decreases in carbon monoxide
(CO) through reaction [I]. Because CO lifetimes are
longer thanNOx lifetimes, the region of decreased CO
concentrations spreads out from air traffic corridors to
a much greater extent than do the aircraft NOx

emissions. The COperturbation spreads all theway to
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tropical and subtropical regions where much of the
global oxidation of CH4 takes place through its
reaction with OH:

OHþ CH4 ! CH3 þH2O ½XI�
As CO levels are lowered in the tropics, OH levels are
raised correspondingly. The higher levels of OH serve
to lower CH4 concentrations, which, in turn, lead to a
further increase in OH. As a result of the complex
interplay (i.e., atmospheric feedback cycle) between
NOx, OH,CO, andCH4, an increase inNOx will lead
to an amplified decrease in CH4. The amplification
factor is approximately 1.5.

Aircraft emissions of SOx, H2O and soot also effect
atmospheric ozone concentrations by serving as
aerosol precursors. In the UT, sulfate- and water-ice-
containing aerosols promote ozone decreases by
acting as surfaces for heterogeneous removal of the
ozone precursors NOx and HOx. A major identified
heterogeneous reaction involves conversion of the
temporary NOx reservoir species nitrogen pentoxide
(N2O5) into the longer-term reservoir nitric acid
(HNO3).

N2O5 þH2SO4=H2O ! 2HNO3 ½XII�
HNO3, along with a number of other nitrogen and
hydrogen acids and peroxides (e.g., HNO4 andH2O2)
are absorbed onto sulfate andwater-ice. The absorbed
species can be removed from theUT by sedimentation.

In the LS, sulfate- and water-ice-containing aerosol
particles not only remove HOx and NOx species but
also liberate ozone-destroying ClOx by heterogeneous
reactions such as

ClONO2 þH2O ! HOClþHNO3 ½XIII�
The net effect of the heterogeneous processes is to
decrease ozone in the LS and UT. However, the effect
of the aircraft-derived aerosols on LS/UTozone offsets
only partially the effect of the NOx emissions.

Much less is known about the effect of soot
particulates on ozone. Ozone is observed to react
directly on laboratory soot surfaces, but the reaction
slows as the surface is modified. Heterogeneous
reactions of NOx and nitrogen reservoir species also
occur on soot surfaces – in some cases the reactions
lead to more reactive species, in others to less reactive
ones. Consequently, the effect of aircraft soot on
atmospheric ozone concentrations is poorly deter-
mined at present.

According to the current scientific understanding,
the overall effect of aircraft emissions in the UT/LS is
to increase ozone levels. Model calculations indicate
that aircraft have increased ozone by about 6% in
heavy traffic areas, with an associated 0.4% increase

in the total ozone column. In terms of climate effects,
the radiative forcing changes due to increased ozone
appear to be largely offset by the predicted decreases in
methane. Considerable uncertainty is attached to
these calculations, however (see Figure 2).

Observing Ozone Impacts

Dense air traffic in Northern Hemisphere flight corri-
dors will give rise to distinct geographical perturba-
tions of NOx, aerosols and ozone under two condi-
tions. First, large-scale dispersion of the exhaust must
be slower than the chemistry that removes and/or links
these emissions to ozone. Second, the strength of the
aircraft emissions must be significant relative to other
natural and anthropogenic sources of NOx and
aerosols. The total NOx emission from current global
aviation is approximately 0.5Tg per year, of which
roughly 60% is released into the upper troposphere
and 15% is released into the lower stratosphere.

The major source of NOx in the lower stratosphere
is chemical oxidation in situ of nitrous oxide (N2O):

O3 þ sunlight ! Oð1DÞ þO2 ½XIV�

Oð1DÞ þN2O ! 2NO ½XV�
The global production rate of NO fromN2O (B12Tg
per year) far exceeds that from current subsonic
aircraft emissions in the lower stratosphere. Hence
there is no expectation, nor observational evidence,
that current aircraft are significantly perturbing
stratospheric NOx levels.

In the upper troposphere, the major non-aircraft
sources of NOx include fossil fuel combustion

O3 NOx

CO CH4

Aircraft NOx

Aircraft
soot

Aircraft
H2O

Aircraft SOx
and H2O

Figure 2 Influence of aircraft emissions on chemical balance in

theUT/LS region. Atmospheric chemical reactions couple together

O3, CO, NOx , and CH4. Among aircraft emissions, NOx is

calculated to have the greatest effect on the coupled species,

acting to increase ambient NOx and O3 levels and decrease CO

and CH4.
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(autos, trucks, etc.), biomass burning, soil emissions,
lightning, andN2Ooxidation.Of these, only lightning
deposits NOx directly into the UT. The fractions of
NOx transported into the UT from sources at the
Earth’s surface or in the stratosphere are small,
occurring only during convective events, such as
frontal activity or thunderstorms or during strato-
sphere–troposphere exchange events triggered by
meteorological features such as extratropical cy-
clones. Source strength estimates for the various
NOx sources are listed in Table 2. As shown in the
table, aircraft emissions into the UTare of comparable
strength to other sources and contribute a significant
fraction of UT NOx.

Chemical sampling of the UT in and around traffic
corridors has revealed each individual aircraft per-
turbs ambientNOx levels substantially for distances of
several kilometers behind it. At larger spatial scales,
aircraft signatures have not been discerned, owing to
the high variability of background NOx. Likewise,
there have been no identifiable spatial patterns in
ozone concentrations that unambiguously point to
production by aircraft NOx. Long-term ozone trend
observations at specific measuring stations (e.g.,
Hohenpeissenburg, Germany, and Wallops Island,
USA), do not correlate with the growth rate of air
traffic from 1970 to the present, indicating that
aircraft emissions are not a major factor in the
observed upper-tropospheric trends.

Impacts on Clouds

Trails of ice particles – contrails – are the most readily
identifiable exhaust signatures of aircraft (see Con-
trails). Contrails often form, even under clear-sky
conditions, because aircraft H2O emissions raise the
relative humidity of the air near the exhaust plume
above 100%. Water vapor in the supersaturated air
subsequently condenses on aircraft-derived soot and
sulfate nuclei and freezes to form ice. If the surround-

ing air is very dry and/orwarm, contrailsmay be short-
lived or may not form at all. In either case, the emitted
soot and sulfate nuclei will remain in the atmosphere
for days and weeks and possibly promote natural ice
(cirrus) cloud formation in locations far from the
initial aircraft plume. These same nuclei, upon contact
with cirrus clouds, may change properties of the cloud
particles such as size distribution, number density, and
chemical composition.

Like other naturally occurring clouds, contrails and
aircraft-induced (or modified) clouds impact the
Earth’s climate by affecting the radiation balance.
For typical particle properties, cirrus clouds trap
surface outgoing long-wave radiationmore effectively
than they reflect solar incoming short-wave radiation.
As a result, cirrus clouds tend to warm the climate.
However, the magnitude and even the sign of a cloud’s
radiative effect on climate is a sensitive function of
cloud particle size and shape as well as altitude and
geographical location.

Cloud Formation Processes

Clouds or contrails can form when air moisture
becomes supersaturated with respect to ice. The ice
formation process takes place by one of several
mechanisms. At higher supersaturations, low-volatil-
ity gas phase species will cluster together to form
liquid particles. These liquids can subsequently freeze
in a process known as homogeneous freezing if
the air is cooled by upward dynamical motion.
At lower supersaturations, the freezing process
may be aided by the presence of a solid particle surface
in a process termed heterogeneous freezing. The liquid
and solid particles that readily promote freezing and
ice crystal growth are typically in the 0.05–1 mm
diameter size range; they are referred to as cloud
condensation nuclei (CCN) and ice nuclei (IN),
respectively. Aircraft emissions may enhance the
frequency of these freezing events by increasing the
abundances of CCN and IN.

Aircraft soot emissions have attracted attention
as a possible source of IN in the UT. The median
size of a fresh aircraft soot particulate is approxi-
mately 0.02 mm. In order for a soot particulate
to become an IN it must be activated (i.e., become
more hydrophilic) by reaction with suitable species.
Lab studies have shown that acids such as H2SO4

induce this activation but that others such asHNO3do
not. Hydrated samples of soot have been obtained
from non-sulfur-containing flames, indicating the
presence of other, as yet unidentified, activating
species.

Aircraft emissions of condensable gases such as
sulfur oxides and oxygenated hydrocarbons can

Table2 Present-daysourcesofNOx in the troposphere and their

approximate strengths

Source Emission rate

(Tg yr� 1)

Emission rate

(Tg yr�1)

Total 9–13 km altitude band

Aviation 0.5 0.3

Fossil fuel combustion 22 0.7

Biomass burning 8 0.2

Soil emissions 7 0.2

Lightning 5 1

N2O oxidation 12 0.6
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contribute to CCN formation. In an aircraft plume,
large numbers (B1016 particles per kilogramof fuel) of
small particles (o0.01 mm radius) are formed from
nucleation of sulfuric acid and water. The formation
and subsequent growth of these particles may be
accelerated by chemi-ions that are emitted into the
plume following their production in high-temperature
reactions occurring in the combustor. As the plume
expands and is diluted by entrainment of ambient air,
the small plume particles may continue to grow by
uptake of additional gaseous species or they may be
scavenged by larger ambient particles. The competi-
tionbetween these twoprocesses depends on anumber
of environmental variables such as air temperature,
relative humidity, and background aerosol concentra-
tion. Under low background aerosol conditions, such
as exist during wintertime, a significant number of
plume particles are expected to survive long enough to
grow to CCN size (see Figure 3).

Addition of aircraft-derived CCN and IN to the UT
will increase cirrus cloud occurrence in areas where
the air is supersaturated with respect to ice but crystal
growth is limited by a lack of sufficient numbers of
nuclei. Relative humidity measurements taken in the
UTreveal that ice supersaturation occurs inmore than
10%of the clear-sky cases examined. Cloud growth in
these regions should be particularly susceptible to
aircraft IN and CCN. In areas of developing cirrus

clouds, aircraft-derived CCN and IN may influence
the properties of the cloud particles in one of
several ways. If the aircraft particles are larger and
function as more active growth nuclei than ambient
particles, they may compete effectively for the avail-
able water vapor and induce growth of larger ice
crystals at the expense of crystal number density. If, on
the other hand, the aircraft particles increase the
number of CCN and IN, but do not change the overall
rate of crystal growth, then increases in the crystal
number density are expected, with concomitant
decreases in average crystal size. The radiative prop-
erties of the resulting clouds will be altered, but the
magnitudes and characteristics of these modifications
are uncertain.

Observing Cloud Impacts

Cirrus cloud coverage, as documented by surface and
satellite observations, has been increasing over a
number of regions in the last two decades, with the
largest increases observed over regions of heavy air
traffic in the United States and the North Atlantic.
Growth of cloud cover in air corridor regions has been
approximately 1–2% per decade greater than in other
areas; attributing this growth rate to aircraft impacts
implies that there has been an overall 5% increase in
traffic route cloud cover during the last 30 years of air
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travel. Contrails are clearly a significant part of this
increase. For instance, analysis of satellite images has
indicated that contrail coverage over Europe is on the
order of 1%.

Indirect effects of aircraft-derived aerosols on cloud
formation may be responsible for the rest of the
observed increase. However, a number of other
natural and anthropogenic causes such as changes
in UT temperature and humidity, greenhouse gas
concentrations, and upper-atmosphere dynamics
may be contributing to the increased cloudiness.
Currently, there is little observational information
from which to determine if aircraft are significant
sources of CCN and IN. In a few cases, sampled
contrail and cirrus cloud particles have contained
significant amounts of soot and metals, suggestive of
an aircraft influence. But the few direct measurements
of CCN in aircraft wakes have yielded concentrations
ranging from very low to very high values. Similar
types of measurement for IN have suggested
that aircraft wakes do not contain large numbers of
these nuclei.

Impact Summary: Present and Future

Scientific progress on aviation impacts has progressed
to a point where it is providing important guidance
to technology and policy decision-makers. Aircraft
CO2 emissions are known to be small but signi-
ficant contributors to the observed rise in ambient
levels, accounting for approximately 2% of the
current total anthropogenic CO2 emissions. In
addition, it is now clear that the overall radiative
forcing by aircraft is substantially larger, by a factor
of 2 to 5, than the forcing by aircraft CO2 alone.
In terms of possible mitigation strategies, this
finding underscores the need to reduce many of
the aircraft emissions simultaneously or consider
tradeoffs in aircraft designs and operational measures.
Examples of tradeoffs include the development
of more efficient (i.e., emitting lower CO2) engines
at the expense of higher NOx emissions and/or
promotion of contrails, and increases in average
flight altitudes to reduce contrail formation at the
expense of increased O3 sensitivity to NOx. Consid-
eration of these tradeoffs is tempered by the fact that
the impacts from aircraft CO2 are far better charac-
terized than the impacts from NOx, contrails, and
aerosols (Table 3).

The calculated impacts of the current aircraft fleet
on climate and ozone are small relative to the natural
atmospheric variability and have not been observed.
Like climate and ozone impacts of other individual
sectors, aircraft emissions represent a small fraction of
the total anthropogenic impact. Consequently, detec-

tion of the aircraft-specific contribution to climate and
ozone change is not possible at present. Future growth
of aircraft emissions is related to economic and
population growth. Under some plausible high-
growth scenarios, aircraft emissions may increase
fivefold over the next 50 years and contribute larger
fractions of the anthropogenic climate forcing and
ozone change. In addition, the possible introduction
of a supersonic aircraft fleet may contribute to
significant changes in stratospheric water vapor and
ozone. The potential impacts of supersonic aircraft
emissions have been studied in the 1970s and again
in the 1990s in concert with industry interest in
building a fleet of such aircraft. From these studies,
the higher altitude (i.e. 16–20 km) release of
supersonic NOx and H2O emissions is predicted
to generally enhance ozone-depleting cycles
(reactions VIII and IX) relative to ozone-forming
ones (reactions IV), and lead to a net decrease of
ozone. The water vapor emissions from supersonic
aircraft, occurring predominately in the relatively dry
lower stratosphere, are also predicted to contribute
to climate warming.

Even if these future subsonic and supersonic
scenarios come to pass, detection of specific aircraft
climate and ozone impactswill continue to be difficult.
Consequently, technology and policy decision-making
will have to rely on observations of overall global
change along with a robust scientific understanding of
aviation effects.

Acknowledgements

I dedicate this article to my wife Myrna; her
long battle with illness ended sadly during its prepa-
ration. I thank Drs S. Baughcum and F. Yu for use
of their data in Figures 1 and 3. Preparation of the
article was carried out at the Jet Propulsion Labo-
ratory, California Institute of Technology, under

Table 3 Ozone and climate impacts of present day aviation.

Radiative forcing is used as a measure of the climate impact

Impact Ozone column

(% change)

Radiative forcing

(Wm�2)

CO2 10.016

NOx 10.5 10.024

CH4 � 0.015

H2O 10.002

Sulfate aerosol �0.1 � 0.003

Soot particulate �0.01 10.003

Contrails 10.021

Cirrus clouds r10.04

Numbers are taken from IPCC (1999).
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Glossary

CCN cloud condensation nuclei
emission index measure of aircraft emission in units
grams of exhaust per kilogram of fuel burned

IN ice nuclei
ICAO International Civil Aviation Organization
LS lower stratosphere
NOx reactive oxides of nitrogen (NOx ¼ NOþNO2)
ppmv parts per million by volume
pptv parts per trillion by volume
SOx reactive oxides of sulfur (SOx ¼ SO2 þ SO3)
UT upper troposphere

See also

Chemistry of the Atmosphere: Chemical Kinetics; Gas
Phase Reactions; Principles of Chemical Change. Cli-
mate: Overview. Contrails. Global Change: Ozone
Trends. Soot. Stratospheric Chemistry and Compo-
sition: HOx; Reactive Nitrogen (NOx and NOy). Strato-
spheric Water Vapor. Tropospheric Chemistry and
Composition: Aerosols/Particles; Carbon Monoxide; Sul-
fur Chemistry, Organic.

Further Reading

BrasseurG,CoxRA,HauglustaineD, et al. (1998)European
Scientific Assessment of the Atmospheric Effects of
Aircraft Emissions. In: Brasseur G, Amanatidis GT,
and Angeletti G. (eds) Atmospheric Environment 32:
2327–2418.

Brasseur GP, Orlando JJ, and Tyndall GS (eds) (1999)
Atmospheric Chemistry and Global Change. New York:
Oxford University Press.

Friedl RR, Anderson BE, Baughcum SL, et al. (1997)
Atmospheric Effects of Subsonic Aircraft: Interim
Assessment Report of the Advanced Subsonic Technol-
ogy Program. NASAReference Publication 1400.Green-
belt, MD: NASA Goddard Space Flight Center.

Intergovernmental Panel on Climate Change (1999) Avia-
tion and the Global Environment, eds. Penner JE, Lister
DH,GriggsDJ,DokkenDJ, et al. Cambridge:Cambridge
University Press.

Turco RP (1997) Earth Under Siege, From Air Pollution to
Global Change. New York: Oxford University Press.

SONEX/POLINAT Special Section (2000) Geophysical
Research Letters 26: 3053–3084. Washington, DC:
American Geophysical Union.

SONEX/POLINAT Special Section (2000) Journal of Geo-
physical Research 105: 3595–3892. Washington, DC:
American Geophysical Union.

Wayne RP (1991) Chemistry of Atmospheres, 2nd edn.
Oxford: Clarendon Press.

AIRCRAFT ICING

MK Politovich, National Center for Atmospheric
Research, Boulder, CO, USA

Copyright 2003 Elsevier Science Ltd. All Rights Reserved.

Introduction

Aircraft icing is the accretion of supercooled liquidonto
an airplane during flight. Accreted ice adversely affects
flight; thus, it is an important component of an aviation
weather forecast.Meteorology associatedwith in-flight
icing begins with the microscale, addressing growth of
supercooled droplets and their collision with and
adhesion to airframes. Cloud-scale and mesoscale
processes control the amount and distribution of
supercooled liquid water. Synoptic weather patterns
govern the movement and overall location of icing
environments. Any discussion of aircraft icing must
also include the development and use of numerical
weather predictionmodels aswell as in situ and remote
sensors for icing detection, diagnosis, and forecasting.
There are isolated cases of snow and frost adhesion
during flight, but since these rarely occur they will not
be discussed here. Similarly, precipitation or frost

adhering to the wings of an airplane prior to takeoff,
and carburetor icing, will not be covered.

Effects on an Aircraft

Although the basic concept of in-flight icing is a simple
one, the processes contributing to icing, and the results
of icing, are at once quite complex and fascinating.
Meteorologists, aerospace engineers, and pilots need
and want information about icing because it can
adversely affect the flight characteristics of an aircraft.
Icing can increase drag, decrease lift, and cause control
problems. The added weight of the accreted ice is
generally a factor only for light aircraft.

Aircraft can fly in icing conditions, and to do so
legally theymust first be certified. For certification of a
particular type of airplane, it must be flown in a range
of natural icing conditions and demonstrate that these
conditions result in no significant effect on the
airplane’s performance. The range of conditions was
first developed from measurements obtained in the
1940s and is illustrated in Figure 1, which was
designed to envelop 99.9% of icing conditions found
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in stratiform clouds. More recent studies have con-
firmed that the indicated range provides reasonable
limits for certification, although, as will be presented
in a later section, it does not address the problem of
large supercooled drops.

Certified aircraft are commonly equipped with
devices that either serve to prevent ice from adhering
to the airframe or remove it once it has adhered. Such
anti-icing or de-icing equipment may be deployed
manually or through an automatic system triggered by
an icing detection probe. Equipment includes pneu-
matic ‘boots’, heat, and liquid. All three can be applied
to the leading edges of the wings and tail, and
occasionally to propellers.

Tailplane icing is a subset of icing and refers to icing
that accretes on the vertical and horizontal stabilizers.
It is not necessarily caused by unique atmospheric
conditions but is usually considered separately be-
cause it results in vastly different response of the
airplane from that produced by icing on the wings.

Icing tends to affect general aviation less than
commuter or air carrier operations; there are several
reasons for this. The smaller aircraft included in the
general aviation category tend to fly at lower altitudes
where icing ismore prevalent. Those aircraftmay have
less de-icing capability and reserve power in case of
encountering icing conditions, and their pilots may
have less experience of operating under icing condi-
tions. Air carriers tend to quickly penetrate icing-
bearing clouds on ascent and descent from airports
and cruise at altitudes far above those at which icing
occurs. Commuter aircraft are caught in themiddle, in
terms of both their ability to handle ice and the
altitudes at which they fly. With the burgeoning
business in this area, they find themselves susceptible
to icing and need accurate forecasts.

Severity and Intensity of Icing

Icing is currently classified into four severity catego-
ries: trace, light, moderate, and severe. Severity is a
combination of the state of the icing environment, the
aircraft’s response, and the pilot’s assessment of the
response.Table 1 shows descriptions for icing severity
that are being adopted for official use by the FAA.

Even with these severity descriptions, there is as yet
no official quantification of environmental parame-
ters. The most important parameters are the liquid
water content, outside air temperature, and droplet
size. The more liquid water there is, the more is
available to accrete on the airframe, and thus higher
liquid water contents are associated with more severe
conditions. Temperature controls what happens to
that liquid once it impacts the airframe – either it
freezes in place or it runs back along the surface to
possibly unprotected areas. Droplet size controls the
collection efficiency of those droplets onto the air-
frame. Overall, droplet size is not as important as
liquid water content or temperature in determining
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Figure1 Icing envelopes defined by liquid water content, droplet

size, and temperature. The shaded areas denote the limits of these

environmental parameters in which aircraft must be able to fly

safely to be certified for flight into icing conditions. (From FAA

Federal Aviation Regulations Part 25, Appendix C.)

Table 1 Icing severity descriptions

Category Description

Trace Icebecomesperceptible.Rateof accumulation is slightly greater than rateof sublimation. It is not hazardouseven

though de-icing/anti-icing equipment is not utilized, unless encountered for an extended period of time (over 1

hour).

Light The rate of accretionmay create a problem if flight is prolonged in the environment (over 1 hour). Occasional use

of de-icing/anti-icing equipment removes/prevents accretion. It does not present a problem if the de-icing/anti-

icing equipment is used.

Moderate The rate of accretion is such that short encounters become potentially hazardous and use of de-icing/anti-icing

equipment, or diversion, is necessary.

Severe The rate of accretion is such that de-icing/anti-icing equipment fails to reduce or control the hazard. Immediate

diversion is necessary.
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severity until droplets reach drizzle sizes, with diam-
eters exceeding B50 mm. Thus, environments with
high amounts of liquid water with large droplet
diameter at warm (but supercooled) temperatures
would represent the most hazardous conditions for
aircraft icing. Research is being conducted to deter-
mine appropriate limiting values for these parameters
to define each severity category. To be useful, the
definitions must relate atmospheric conditions to
observable information as well as effect on flight.

Types of Icing

There are two main physical types of icing: glaze and
rime. Mixed icing is a combination of the two. Rime
ice is brittle and opaque and tends to grow into the
airstream. It is formed as the droplets freeze immedi-
ately upon impact. Glaze icing, sometimes referred to
as clear icing, can be nearly transparent and has a
smoother surface, sometimeswith awaxy appearance.

It is formed when the droplets deform and/or flow
along the surface prior to freezing. Glaze icing can be
more serious to the aircraft than rime since it tends to
run back along the airframe, covering more surface
area than rime icing F perhaps flowing onto and
adhering to unprotected areas. Glaze icing can be hard
to see from inside the aircraft, so that the pilot may be
unaware of ice buildup. Mixed icing often occurs in
layers, similar to wet and dry hailstone growth, as a
transition from rime to clear conditions is encoun-
tered. These icing types are illustrated in Figure 2.

The type of icing is related to the air temperature,
the liquid water content, and the size of the droplets.
Glaze is generally associated with higher tempera-
tures, higher supercooled liquid water (SLW) contents
and larger droplets. Rime is usually created at lower
temperatures, low SLW contents, and small droplet
size. There are also effects dependent on the airplane
itself, including wing shape, airspeed, and type of de-
icing/anti-icing equipment.

Figure 2 Post-flight photographs of ice encountered by the NASA Glenn Research Center’s instrumented Twin Otter aircraft. The

leading edge of the left wing is shown in each photograph: (A) light rime ice, (B) severe glaze ice, (C)moderatemixed ice, (D) supercooled

largedroplet ice.Note howmuch farther aft the ice in (D) hasaccreted compared to theother types. (Photographs courtesyofNASAGlenn

Research Center.)
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Location and Frequency of Icing
Conditions

Since icing occurs in clouds or precipitation at
temperatures below 01C, any icing climatology must
be associated with cold, cloudy conditions. Figure 3
shows that icing frequency is most strongly related to
latitude in the contiguous United States, with some
preference for the northeastern part of the country.
Icing-related fatal aircraft accidents average approx-
imately 30 per year in the United States, with the
highest incidence in the winter months. Alaska has by
far the highest accident rate, followed by the north-
west mountains, Great Lakes, western Pacific states
and the central states.

The average altitude of icing environments is
around 3000m above mean sea level (msl), with few
encounters above 6000m. Cumuliform clouds, with
their greater depth and transport of significant liquid
amounts to higher altitudes, have on average higher
altitude coverage than stratiform clouds. Frequency
of icing ‘PIREPs’ (pilot reports) by time of day is a
direct reflection of the frequency of flights, with few
reports overnight. The weekly pattern also follows air
traffic trends, with most reports on Tuesday through
Thursday.

Light icing is the most frequent severity category
reported by pilots, accounting for B60–70% of all
reports. Severe icing, which indicates a condition in
which flight cannot be sustained, is reported in only a
few percent of cases. Rime icing is reported much
more frequently than glaze or mixed, comprising
B70–75%of reports. For both icing type and severity,
the largest joint frequency is for light rime icing, which
covers nearly half of all reports.

Relation of Icing to Weather Features

Icing takes place in clouds or precipitation and is thus
closely related to weather features providing such
conditions. Most PIREPs of icing occur near fronts.
Regions ahead of or near surface warm fronts are
favorable icing regions if temperatures are in the right
range (B0 to � 201C), since they provide widespread
lifting of generally moist air. Cold fronts also provide
opportunities for icing, with narrower regions ofmore
intense lifting near the surface front. Moist, maritime
air masses are associated with higher frequencies of
icing PIREPs, whereas continental air masses, espe-
cially those well behind arctic fronts, have fewer
reports. Topography also influences icing, providing
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Figure 3 Frequency of icing expected over the contiguous 48 states of the United States in February. Frequency is expressed as

percentage of total time available. These data are for February 1992 through 1997, for altitudes o3000m above msl. The plots were

constructed by correlating icing pilot reports to surface weather measurements, then extrapolating the icing pilot report frequency to the

entire month, to account for overreporting in high air traffic areas, and underreporting during nighttime and in low or no air traffic areas.

(Courtesy of Barbara Brown, National Center for Atmospheric Research.)
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local sources of uplift. For example, cold fronts
progressing southward through the central United
States often providewidespread icing conditions along
the front range of the Rocky Mountains from Wyo-
ming through New Mexico. Cold, moist air is forced
up the gentle slope leading to the steep mountain
range. Lake-effect storms tend to be efficient in
forming snow, but near the leading edges of lake-
effect clouds, where ice has not yet begun to form,
significant supercooled liquid water concentrations
can be found.

Onemight assume that icingwill not be present aloft
where there is significant precipitation at the surface
due to scavenging of cloud liquid water. However,
examination of PIREPs has not borne this out; the
chances are about even that a PIREPwill be associated
with surface snow or rain as opposed to no precipi-
tation. PIREPs of moderate or greater severity com-
bined with clear or mixed icing type are significantly
more likely to be reported near locations of surface
observations of freezing precipitation than those
locations with rain, snow, or no precipitation. This
feature can be used by the forecaster as a clue for
potentially hazardous icing andwill be discussedmore
thoroughly in a later section on large droplet icing.

Microphysical Characteristics

Measurements of the microphysical characteristics of
icing environments have beenobtained from the 1940s
to the present. Temperatures range from 01C to below
� 251C, with a mean around � 101C. Few icing
encounters occur at temperatures below � 201C. At
temperatures above about � 51C, adiabatic compres-
sion of air may increase the actual temperature along
the leading edges of the airframe to above freezing;
typical dynamic heating corrections are 1–21C for
small, slow aircraft, to as much as 6–81C or higher for
large, faster-flying air carriers.

Liquid water content (LWC) of icing environments
tends to be, on average, fairly low. In convective
clouds, 90%of the values areo0.5–0.7 gm� 3 and for
stratiform cloud o0.3–0.5 gm� 3. Maximum values
for LWC are typicallyB1.2–1.3 gm� 3, but can reach
higher values in deep convective clouds. The distance
over which certain LWC values continuously exceed
certain limits decreases with increasing amount of
liquid; continuous LWC 40.5 gm� 3 was limited to
distances o13 km in one study, whereas in the same
study one encounter had LWC40.1 gm�3 persisting
along 83 km of flight path.

Droplets are typically small, with average mean
diameter or median volume diameter usually between
10 and 20mm. Maximum values for mean diameter

are 30–50mm, depending on the data set. Cumuliform
clouds tend to have larger droplets than stratiform
clouds, and clouds in continental areas have smaller
droplets than those in maritime areas. Liquid water
content and droplet size generally increase with
altitude in single cloud layers but the behavior is less
predictable in multilayered clouds. These are general
guidelines F individual clouds can and do vary
considerably from one another, and variations occur
within clouds.

There is only limited anecdotal evidence that ice
crystals will adhere to an airplane in flight. High
concentrations of ice crystals alone, as in cirrus
thunderstorm anvils, have been related to engine
problems due to ice ingestion, but they are not an
airframe icing problem. A surprising number of icing
encounters are in mixed-phase conditions, that is,
when ice crystals are present along with the super-
cooled liquidwater. This appears to be the norm rather
than the exception, and has implications for remote
detection and forecasting.Mixed-phase conditions are
usually thought to represent a transitory state as ice
crystals will tend to grow at the expense of the liquid
droplets. However, in a case with sufficient moisture
supply and updraft speed, enough condensate can be
produced for both deposition on ice and condensation
on droplets to occur.

Supercooled Large Droplet Icing

It has been recognized for some time that supercooled
large droplets (SLDs), which are those with diameters
exceeding 50 mm, pose an especially serious threat to
flight. Their larger size means they are not as likely as
small droplets to be carried around the airframe with
the airstream butmore readily impact on the airframe.
SLDs can impact farther aft than small droplets, which
means that they may land on and freeze on areas not
usually protected by de-icing or anti-icing devices. The
larger droplets may also flow along the aircraft before
freezing, sending them to these unprotected locations.
Roughness resulting from this type of ice accretion can
create a greater aerodynamic penalty than that at the
very forward edge, near the ‘stagnation point’ where
the airflow splits to go under or over thewing. Cases of
increased degradation of performance due to flight in
SLD conditions are well documented for several
research aircraft.

There are two general situations for formation of
SLDs. The first is the classic freezing rain process, by
which snow forms aloft, falls into an intruding warm
(T401C) layer, melts, continues to fall into lower
cold air (To01C), and becomes supercooled, ready
to adhere to an airplane. This is a relatively easy
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forecasting problem since it requires a specific ther-
modynamic profile. The other general case is forma-
tion of SLDs by coalescence of liquid drops, and is not
so easily recognized using operationally available data
sets. Wind shear (differences in wind speed and/or
direction) at cloud top in stratiform clouds may
encourage the formation of SLDs, but specific mech-
anisms for SLD formation in these cases have not yet
been identified. There is some evidence that minimum
thresholds of liquid water content must be exceeded
for drizzle formation to occur: 0.2–0.25 gm� 3 in
continental clouds and around 0.1 gm� 3 in maritime
clouds.

The observation of freezing precipitation – freezing
drizzle, freezing rain or ice pellets – at the ground can
provide an important clue for SLD conditions aloft.
This makes physical sense since all three are super-
cooled (or already frozen) large drops: if they are
present at the surface, they must be present for some
depth above the surface. The more difficult part of
using this to diagnose SLD conditions aloft is to
determine how far aloft the SLDs will be present.
Knowledge of the moisture and thermal structure of
the atmosphere is needed to infer this depth.

Detection of Icing Conditions

In situ detection of icing is done visually or by the use
of instrumentation. Pilots generally have a poor view
of the wings of their aircraft, so they may use the icing
accreting on windshields, wipers, or pitot tubes near
the nose of the aircraft to assess the presence and
amount of ice. The pilot can also notice changes in
aircraft performance due to icing as described in the
table of severity indicators. Icing detectors warn the
pilotwhen ice is accreting on the aircraft. In some cases
these instruments are sensitive enough to provide an
early warning before the ice becomes noticeable to the
pilot. These airframe-mounted detectors are a fairly
mature technology, although new systems are still
being developed. Examples of detector types are those
that can be flush-mounted on the wing and detect
differences in capacitance on the surface, or have a
vibrating rod protruding into the airstream that
detects the difference in resonant frequency as ice
accretes. Special camera-like systems that use infrared
or other wavelengths of light are also being developed.
The advantage of in situ systems is that they provide a
definite detection of icing conditions. However, they
have the drawback that the aircraftmust necessarily be
within the icing environment, and inmany cases that is
not a desirable place to be.

The use of remote sensors for detecting icing is in a
relatively young stage of research anddevelopment.At

this time there is no one instrument that will remotely
and accurately determine where supercooled liquid
resides in the atmosphere. Research into the pro-
per interpretation of remote sensor data for icing
applications is very active at this time. TDWR
(Terminal Doppler Weather Radar: C-band, 5 cm) and
NEXRAD (Next Generation Weather Radar: S-band,
10 cm) operational radars were not specifically de-
signed for icing detection, but they may yield infor-
mation that, when combined with that from other
sources such as numerical weather prediction models,
satellite imagery, or surface observations, provides
clues to the location and intensity of icing. Altering
scan strategies to sample the lower atmosphere more
effectively, or retrofitting these radars with polariza-
tion capability, may aid in their utility as icing
diagnosis tools. Short–wavelength radars (such as
K-band, 0.86 cm or W-band, 3mm) have shown
potential for detecting icing conditions, especially in
nonprecipitating clouds. Dual- or triple-wavelength
systems, using combinations ofW-, K-, X-, and longer
wavelengths, also have shown promise in quantifying
liquid along the radar beam. These systems take
advantage of the differences in attenuation of micro-
wave radiation by atmospheric liquid at the different
wavelengths.

Since icing often occurs in mixed-phase conditions,
somemeansmust be available to discriminate between
ice and liquid in the radar data. Use of reflectivity
alone, even with accompanying temperature informa-
tion, is not sufficient. Polarization is one method by
which this may be done through determination of the
shape of the hydrometeor.

Multichannel microwave radiometers, which pas-
sively detect radiation emitted from atmospheric
constituents, have also been shown to be useful in
identifying icing aloft. Their drawback is that they
currently do not identify the altitudes at which icing
exists (although this is an active area of research), and
whether the detected liquid is supercooled. As with
radar data, combining radiometer-based information
with that from other instruments can help the
forecaster gain insight into the nature of the icing
environment.

Multispectral Geostationary Operational Environ-
mental Satellites (GOES) show great promise as icing
diagnosis tools. Several algorithms have been devel-
oped that use combinations of visible and long- and
short-wavelength infrared channels to determine lo-
cations of supercooled liquid cloud tops. These algo-
rithms will not diagnose where all icing conditions
exist or are absent; for example, ice-bearing cirrusmay
overlie a supercooled liquid cloud and prevent its
detection, or a supercooled liquid layermay be present
above a cloud consisting predominantly of ice crystals.
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Nevertheless, satellite-based techniques provide the
forecaster with an additional clue as to where icing
resides and should be used in combination with other
data. Methods have also been devised to use micro-
wave information from satellites to quantify the total
integrated amount of atmospheric liquid water con-
tent over oceans. Progress in adapting these to
overland use is slow, owing to the wide variations in
background radiative emission from the Earth’s land
surfaces compared to the relatively constant values
over water. These data could be combined with other
observations or model outputs to provide the needed
information on the location and nature of icing
conditions in clouds.

Forecasting Icing Conditions

Forecasting in-flight icing is the same as predicting the
presence of supercooled liquid water in clouds–not
exactly on the list for undergraduate weather fore-
casting laboratories. Following a ‘forecast funnel’
process, the forecaster seeks

Clouds or precipitation

Favorable temperature regime ðo0�C; > �20�CÞ
Lift to create liquid

Lack of significant ice to encourage glaciation

Various guidelines linking weather features observ-
able on the synoptic or mesoscale with the occurrence
of icing conditions have been used with some success.
However, a better route is to apply knowledge of the
atmosphere to the available information. Knowing
what creates and depletes liquid, in combination with
information about where clouds are expected and
the temperature structure of the atmosphere, should
provide a much more reliable and geographically
robust prediction. These concepts can also be incor-
porated into automated systems that provide the
forecaster with initial guidance or the nonmeteorolo-
gist with a reasonable ‘final answer’ ofwhere to expect
icing.

Current icing forecasting methods vary but they
share some common characteristics. They tend to be
human-intensive, time-consuming, and somewhat
subjective, and they have output formats that can be
difficult to interpret. Until recently, operational
weather prediction models did not include an icing
product or clouds or liquid water fields. Thus, the
forecast problemwas to determine, using the available
output, where supercooled cloud was likely to be
located.

In the absence of explicit information on the
locations of clouds, it is possible to make a reasonable

forecast using temperature and relative humidity
predictions from numerical weather models. The
methods tend to produce a maximum probability of
detection of icing (that is, where there was a PIREP of
icing there was also a forecast of icing) ofB75%. The
actual threshold values will depend onmodel specifics
such as horizontal and vertical resolution, the treat-
ment of moisture in the boundary layer, and so on.
Adjustments can be made to mimic situations where
icing probabilities can be enhanced. For example,
relative humidity thresholds might be lowered in cases
where deep convection is expected, since rising turrets
may penetrate altitudes where model humidity is low.
Low-level stratiform clouds with relatively warm tops
and no overlying cloud layers are especially favorable
for supercooled liquid water, and algorithms can be
developed to recognize these situations from model-
generated temperature and humidity profiles.

With the advent of improved numerical weather
prediction models with prognostic cloud liquid water
content, the potential exists to determine where icing
really exists (as opposed to inferring it from smoothed
temperature and humidity fields), and to quantify the
hazard in terms of icing severity and type. Generally,
cloud microphysical parametrizations are first devel-
oped and tested on research models such as the Penn
State/NCAR Mesoscale Model (MM5), or the Colo-
rado State University RAMS, run in a post-analysis
‘diagnostic’ mode. Concepts are then coded and tested
for use in the operational models deployed by the US
National Centers for Environmental Prediction
(NCEP). Currently, the meso-Eta model includes
liquid water prediction, and preliminary verification
for icing looks promising. The Rapid Update Cycle
Model includes a microphysical parametrization with
prognostic equations for additional hydrometeor
types.

One of the roadblocks to inclusion of cloud liquid
water fields in the operational models is the demand
for extra and computer power and storage capacity.
However, inclusion of an explicit liquid water field is
really the only means toward the goal of automated
prediction of severity and type of icing.

No one observational tool or weather prediction
model provides us with all we need to know about
where icing is located, or any of its attributes such as
type or severity. Forecasters combine the information
from various sources to get the complete story on
icing; it makes sense to develop automated algorithms
to accomplish the same goal. Automated versions of
this human technique are being developed and to date
have proved quite successful in diagnosingwhere icing
conditions reside. Predictive capabilities, by which
sensor-based icing features are identified and extrap-
olated forward, represent the means by which this
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combined approach may be taken into the future. The
key to successful icing forecasting lies in understand-
ing the physical processes resulting in supercooled
liquid water production, how these processes relate to
observable phenomena, and how to combine infor-
mation from as many sources as possible to gain the
most complete picture of the icing situation.

Glossary

Supercooled Refers to liquid water cooled to below
01C without becoming a solid (ice).

Glaze ice Ice with a translucent, glossy appearance.
May be smooth or have embedded lumps. Some-
times referred to as ‘clear’ ice.

Rime ice Opaque, brittle ice that tends to form
‘feathers’ into the airstream.

Mixed ice A combination of rime and glaze ice,
caused by variations in atmospheric parameters
resulting in either type of ice.

Severity Refers to the combination of environmental
icing intensity, aircraft response, and pilot interpre-
tation of that response.

See also

Cloud Microphysics. Cyclones, Extra Tropical. Hu-
midity Variables. Mesoscale Meteorology: Overview.

Mountain Meteorology. Parameterization of Physi-
cal Processes: Clouds. Radar: Precipitation Radar.
Satellite Remote Sensing: Precipitation; Temperature
Soundings; Water Vapor. Thermodynamics: Moist (Un-
saturated) Air. Weather Prediction: Regional Prediction
Models.
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Introduction

The world ocean is a key element of the physical
climate system.Theocean contains 97%of theworld’s
water and covers an area of 71% of the globe. As a
reservoir, the ocean supplies water vapor to the
atmosphere that brings rain and snow over land
surfaces. About one-third of the precipitation over
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land originates fromwater evaporated from the ocean.
The water vapor in the atmosphere is the most
important gaseous absorber for solar and terrestrial
radiation and accounts for about half of the atmos-
phere’s natural greenhouse effect. The process of
evaporation accounts for approximately half of the
surface cooling balancing the heating by absorption of
solar radiation.

Because of the asymmetric insolation of the Earth’s
surface by solar radiation, the oceans act as a large
energy and heat transport system from the Equator to
the poles. The deep-ocean circulation that is critical
for this transport is mostly driven by variations in the
density of sea water. Ocean salinity is an important
contributor to these variations and varieswith latitude
in the upper layers of the oceans. The surface salinity
depends on the fresh water flux at the ocean surface
and is relatively high in the subtropics where evapo-
ration exceeds precipitation, whereas it is relatively
low in the tropics andmiddle and high latitudes where
precipitation dominates.

The most comprehensive publication about the
world water balance was written by Baumgartner and
Reichel in 1975. They assembled different estimates of
the water balance over continents, river basins, and
oceans to calculate a global water balance. This
pioneering work resulted in global maps of evapora-
tion and precipitation that even today are widely used
by meteorologists, oceanographers, climatologists,
and hydrologists. The definition of the water balance
and its components used here follows the work of
Baumgartner and Reichel.

Assuming that the amount of water on Earth is not
changingwith time, the long-termaverage of thewater
balance for a unit area of the Earth’s surface can be

written as eqn [1].

P ¼ EþD ½1�

In eqn [1],P is precipitation,E is evaporation, andD is
discharge or river runoff. This balance states that
water added to the surface by precipitation is parti-
tioned between E and D. Although globally precipi-
tation and evaporation are balanced, the large
differences in the components P, E, and D over land
and over ocean produce the world’s water cycle,
shown schematically in Figure 1. The units used
throughout the chapter for E, P, and E� P are
mmd� 1. In general, total evaporation exceeds pre-
cipitation over oceans, which is compensated for by
the runoff of rivers from the continents, where
precipitation exceeds evaporation.

In the following sections the focus will be on the
different methods used to determine the freshwater
flux at the oceans surface: E, P, E� P will be
considered in detail. The heat transport within the
oceans is beyond the scope of this article (see Air–Sea
Interaction:Momentum,Heat andVapor Fluxes). The
second section gives an overview of different
techniques that can be used to determine the fresh
water flux, followed by a description of the freshwater
flux climatology as derived from satellite data. This is
followed by a short consideration of the role of river
runoff, and finally some conclusions are presented.

Methods for Determining
E , P , and E --P

Basically, there exist three different methods for
determining the components E and P as well as

PO
EOEL

PL

Land 30% of area

D

Ocean 70% of area

MT

Figure 1 Schematic representation of the world water cycle E and P denote evaporation and precipitation over oceans and land

(denoted by subscript O and L, respectively). D is the discharge or river runoff of water from the continents to the oceans and MT is the

moisture transport in the atmosphere.
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E� P. Traditional estimates of E are based on in situ
measurements of surface wind speed U, specific
humidity of air Qa, and sea surface temperature TS.
These are used within the so-called bulk aerodynamic
formula to parametrize the evaporation (seeTurbulent
Diffusion). P is estimated by analyzing actual weather
reports using an empirical parametrization. The
resulting estimates are interpolated and extrapolated
to construct global maps of E and P.

Recently, satellite data have been used to derive the
samebasic state variables near andat the ocean surface
using empirical and physical retrieval schemes. Again
these quantities are used to parametrize E using the
bulk aerodynamic formula. Many algorithms for
estimating rainfall using almost the whole electro-
magnetic spectrum have been developed during the
last 20 years (see Satellite Remote Sensing: Precipita-
tion). These satellite algorithms are used alone and in
conjunction with in situ data andmodel results to give
best estimates.

The third method is the so-called moisture budget
method, which make use of global-scale analyzed
water vapor fields or measurements of atmospheric
water vapor by rawinsondes in the form of four-
dimensional data assimilation (see Data Analysis:
Time Series Analysis). The global distribution ofE� P
is then computed from the residuals of water vapor
transport in the atmosphere using large-scale numer-
ical models.

Traditional Estimates from in situ Measurements

Most of our present knowledge of fresh water fluxes is
derived fromweather observations on special weather
ships, buoy data, and also data from merchant ships
participating in the Voluntary Observing Ship system.
Many of these data have been organized into the
Comprehensive Ocean Atmosphere Data Set which
has been used to derive climatologies of the energy
fluxes and the fresh water flux at the sea surface. The
major disadvantage of ship-based estimates ofE andP
is that the observation base is not very good for either
parameter. The coverage is mostly obtained along
shipping lanes, which may be sufficient in the North
Atlantic, North Pacific, and the Mediterranean but is
not sufficient in the Tropics and all southern oceans.
Additionally, the concentration along shipping lanes
can introduce a fair weather bias, since ships try to
avoid bad weather.

Whereas themeasurement quality for the basic state
variables used for the parametrization ofE is relatively
good on ocean weather ships and research quality
buoys, it is less good on the voluntary observing ships.
Although much effort has been put into correcting
errors on the basis of individual ship measurements

during the last few years, the global heat balance has
not been closed,mostly because of the lowobservation
density and deficiencies in the bulk aerodynamic
formula. The determination of precipitation is even
more difficult. It is largely based on theobserved actual
weather and parametrizations that convert the weath-
er code into rainfall amount. The conversion schemes
were developed from data that are not representative
of the global oceans, so it became necessary to correct
under-estimated precipitation in the Tropics by em-
pirical temperature-dependent corrections. Incorpo-
ration of P measurements from islands in data-sparse
regions is also very difficult, because of the influence of
island terrain on the rainfall. Comparisons of these
precipitation fields with satellite-derived fields exhibit
large differences even at the climatological scale.

Remote Sensing of E --P

Remote sensing of evaporation is based mostly upon
the derivation of basic state variables, wind speed, sea
surface temperature, and near-surface atmospheric
specific humidity, and the parametrization of the
evaporation using the bulk aerodynamic formula.
Wind speed can be obtained from either passive or
active microwave systems. The active system relates
the backscattered energy to the wind speed at a
reference level over sea surface (e.g., 10m) and is also
able to deliver wind direction information. The
passive systems rely on the surface emission change
due to wind-induced sea surface roughness and partial
foam coverage. The root-mean-square (rms) errors on
an instantaneous time scale for both systems are on the
order71.3 to72m s�1. Remote sensingmethods for
the near-surface specific humidity make use of a
vertically integrated water vapor content (obtained
from a passive microwave instrument such as the
Special Sensor Microwave/Imager (SSM/I)) as a pre-
dictor. Several techniques ranging from linear regres-
sion analysis to neural networks have been used to
deduce the near-surface humidity with rms errors of
B70.7 g kg� 1 on the monthly time scale. Estimates
of sea surface temperature are deduced from passive
infrared sensors like the Advanced Very High Resolu-
tion Radiometer (AVHRR). The largest problem with
thismethod is the cloud clearance of the satellite scene,
because otherwise the determined TS would be nega-
tively biased. Accounting for the surface skin effect,
rms errors for the best satellite methods areB70.2K.
Estimates of sea surface temperature with not much
less accuracy are also possible employing passive
microwave measurements at frequencies between
B5–10GHz that are available from TRMM’s TMI
and will shortly be available from the new Advance
Multifrequency Scanning Radiometer onboard the
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Aqua and ADEOS-II satellites. The big advantage of
those estimates is the much better coverage because
clouds are almost transparent at those frequencies
allowing an undisturbed view of the ocean surface.
However, infrared estimates of sea surface tempera-
ture remain of high importance for the computation of
evaporation climatology since estimates of sea surface
temperature from SSM/I measurements were not
possible with sufficient accuracy. Recently, some new
methods have been developed that circumvent the
bulk formula in the retrieval process by relating the
satellite data directly to an existing flux data set, e.g.,
re-analyses of fields derived from in situ data that are
assumed to be true. The accuracy of all methods
is comparable at a level of 730Wm� 2 and
715Wm� 2 at weekly and monthly time scales,
respectively.

As mentioned in the previous section, there are not
sufficient conventional and surface-based radar rain-
fall estimates over the oceans for the derivation of
rainfall fields. A reasonable alternative is the use of
satellite remote sensing. Remote sensing of rainfall
from satellites started with the statistical analysis of
the reflectivity and emissivity of the upper cloud layers
at visible and infrared wavelengths, respectively.
Because of the small physical correlation between
the signal and the rainfall at the surface, this technique
leads to acceptable results only if the derived rainfall is
integrated over space and time. Owing to the strong
variability of rainfall, rainfall climatologies derived
using this technique with data from geostationary
satellites with their high repetitive cycle build are still
the backbone of today’s rainfall analyses.

Over water surfaces, passive microwave radiome-
ters deliver amuch better information base. The signal
at frequencies below 30GHz is mostly determined by
the emission from rain water, which leads to a strong
increase of the brightness temperature over the cold
background of the sea surface. For higher frequencies,
the brightness temperature decreases owing to scat-
tering by ice particles. This information can also be
used to estimate the rainfall rate at the surface. Since
the launch of the first SSM/I onboard the satellites of
theDefenseMeteorological Satellite Program (DMSP)
in 1987, a continuous time-series of data exists from at
least one satellite. Many algorithms have been devel-
oped to analyze rainfall using thesemeasurements.On
the basis of numerous algorithm intercomparison
projects, it has proved almost impossible to find a so-
called standard algorithm that performs best for most
of the situations investigated. The variability of the
cases analyzed showed the quality of some algorithms
under certain conditions, but not of one prevailing
algorithm. In many cases it was found that the
accuracy of the validation data was not sufficient to

classify the quality of the satellite algorithms. A
prominent data set using combinations of geostation-
ary satellite data, passive microwave data, and rain
gauge data is that produced by the Global Precipita-
tion Climatology Project (GPCP).

With the launch of the satellite of the Tropical
RainfallMeasuringMission (TRMM) in 1997, for the
first time a space-borne radar can be used to derive the
three-dimensional structure of rainfall and the surface
rainfall. The combination of instruments onboard the
TRMM satellite can be considered as a reference for
methods applied to other instruments in space. A
calibration of rainfall estimates from other satellites
like the SSM/I then delivers an optimal combination of
accuracy and temporal/spatial sampling and subse-
quently consistent rainfall distributions.

Moisture Budget Methodology

The moisture budget methodology tries to compute
E� P as a residual from the large-scale atmospheric
transports ofwater vapor using global analyses and re-
analysis data sets produced with four-dimensional
data assimilation schemes. This technique has a long
history, although it usually makes use of rawinsonde
data directly.E� P is computed from eqn [2], which is
the vertically integrated (from the top of the atmos-
phere to the surface) equation for the conservation of
water vapor.

E� P ¼ qW
qt

þr .
1

g

Z pS

0

qv dp ½2�

W is the total precipitable water, q is the specific
humidity, p is pressure (with pS being the surface
pressure), v is the velocity vector, and g is the standard
gravity. Many comparison studies between precipita-
tion fields produced routinely and the GPCP data set
found discontinuities in the analyses due to changes in
the data assimilation system. Another problem was
that rainfall maxima in the analyses were often in the
wrong place and too strong. In general, the assimila-
tion systems have been much improved during the last
ten years and are more or less consistent with satellite-
derived data sets. However, use of this method with
different analysis and re-analysis products from the
European Center for Medium-range Weather Fore-
casts (ECMWF), the National Centers for Environ-
mental Prediction (NCEP), and the National
Aeronautics and Space Administration (NASA) as
input and comparisons to pure model-computed
E� P exhibited large differences. The most critical
part of this method is the dependence of the moisture
budget on the divergence of the velocity field. This
is of special importance in the Tropics, where the
divergence field is not very well known.
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River Inflow

The inflow of fresh water from rivers is not included in
most ocean surface fresh water data sets derived from
satellites and is also neglected in the residual approach,
but it is significant to the global fresh water balance of
the ocean. Baumgartner and Reichel estimated from a
global hydrological balance calculation that the con-
tribution of river runoff to the balance is as high as
10% of the contribution of precipitation. It might be
thought that the impact of the fresh water inflow from
the rivers on the buoyancy would be local in compar-
ison to the size of the ocean basins. However, the
impact of major rivers like the Amazon or Congo is
observable several hundred kilometers away from the
mouths of the rivers. Neglecting this contribution
would increase the average salinity of the upper
Atlantic ocean (the first 50m) by 1.5 psu after 10
years of integration of a numerical ocean model.

Two major runoff data sets are the Global River
Discharge Catalogue published by the International
Hydrography Program (IHP) and that issued by the
Global Runoff Data Center, and these form the
backbone of information on river runoff. IHP data
consists of a selection of monthly discharges at 949
stations over six continents (Africa, Asia, North
America, South America, Europe and Australia/
Oceania), but only 219 stations are listed as corre-
sponding to a direct discharge into anocean basin. The
length of the individual data sets is 19.3 years on
average, but varies from 1 year to 100 years. Addi-
tionally, a great disparity exists between the different
continents, with Europe and North America present-
ing the longest records. Not included in either data set
is the runoff fromArctic and Antarctic regions and the
inflow of fresh water from ground water sources.

Analysis of the monthly mean climatology of the
direct contribution of rivers to the fresh water flow
into the ocean, considering only rivers for which time
records longer than two years exist, sums toB0.57 Sv
(1 Sv 5 106m3 s� 1). This estimate ismuch lower than
that of Baumgartner and Reichel, who found 0.73 Sv,
which also includes contributions from regions be-
yond the polar circles, which they estimated from
other sources.

Climatology of E --P Derived from
Satellite Data

Figures 2–4 show the seasonally averaged globalmaps
of evaporation, precipitation, and E� P derived from
AVHRR and SSM/I data, on a grid with 11� 11
resolution. The data set was constructed by averaging
instantaneous estimates of the components and the
flux over 11 years (1987–1998).

Maximum values of evaporation up to 9mmd� 1

are observed over the Kuroshio and Gulf Stream
regions in winter (Figure 2A) and minimum values
below 1mmd� 1 are seen in the eastern equatorial
Pacific and Atlantic during all months. Large areas
with high evaporation rates of 5–6mmd�1 are found
in the main Trade Wind belts between about 101 and
401 latitude in both the Northern and Southern
hemispheres. These high evaporation regions are the
major sources of atmospheric water for the global
hydrological cycle. Whereas during Northern Hemi-
sphere winter and spring the maximum extent and the
highest values are found north of the Equator (Figures
2A and 2B), maximum evaporation is observed in the
southern Indian, Atlantic, and Pacific Oceans during
Northern Hemisphere summer and fall (Figures 2C
and 2D).

The global precipitation pattern is dominated by a
strong band of precipitation circling the globe just
north of the Equator. This is the region where the
northern and southern Hadley circulation cells meet,
forming a region of strong surface convergence known
as the Intertropical Convergence Zone (ITCZ).Where
themaximumprecipitationon anannual scale exceeds
6mmd�1. Another convergence zone in the western
tropical Pacific, known as the South Pacific Conver-
gence Zone (SPCZ), is somewhat broader, with
precipitation values similar to those in the ITCZ. It
extends from the region of Indonesia and the Philip-
pines south-east across the southern Pacific. With the
onset of the summer monsoon, the ITCZ, which was
earlier located in the southern Indian Ocean, shifts to
its northernmost location and merges with the Mon-
soon trough giving rise to copious rainfall over the
Indian subcontinent and the adjacent seas, namely the
Arabian Sea and Bay of Bengal (Figure 3C).

On an annual scale, the region off the Indonesian
islands receives a maximum rainfall of more than
10mmd� 1. Outside the two convergence zones,
precipitation rates are significantly lower, with the
exception of two regions. Precipitation rates are quite
high over the Gulf and Kuroshio Streams, with values
as high as in the ITCZ during the period November to
March (Figure 3A). This feature has not been recog-
nized in rainfall climatologies derived from routine
weather observations.

At tropical and subtropical latitudes, between about
151N and 401N and between 51 S and 301 S, the
eastern parts of the Pacific and the Atlantic ocean are
regions where precipitation is below 1mmd�1. A
similar region is found in the Indian Ocean along
the east coast of Africa and Saudi Arabia during all
months, with a maximum extent over the
whole Arabian Sea during winter (Figure 3A). In the
Southern Hemisphere, west of Australian coast,
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anotherminimum is observed,which has itsmaximum
extension during the Southern Hemisphere spring
(Figure 3D).

The patterns of precipitation and evaporation
exhibit quite different spatial distributions. Precipita-
tion maxima occur in the global convergence regions,
while evaporation maxima occur in regions of high
surface humidity gradient and wind speed. On a
monthly time scale, values of E exhibit much less
spatial structure than fields of P. From this it is clear
that the E� P monthly temporal variability is dom-
inated by variations in location and intensity of
rainfall and the spatial structure in E� P is also
dominated by the P field.

However, on the climatological time scale, fields of
E� P consist of signatures of both evaporation and
precipitation fields. The ITCZ and SPCZ appear
prominently as regions of fresh water supply to the
ocean. In these regions the fresh water flux from
atmosphere to ocean is generally larger than
4mmd� 1. With the exception of the SPCZ, precipi-
tation decreases rapidly with latitude to the north and
to the south of the ITCZ, while evaporation remains
strong or even increases, causing positive values of the
fresh water flux.

The strongest gradients in the fresh water flux fields
occur in the boundary regions between the negative
values of 4mmd�1 within the ITCZ and the
strong positive flux regions to the north and south,
with values up to 6mmd� 1. Poleward from the
evaporation regions, the fresh water flux is relatively
small. The evaporation fields generally decrease
toward the poles primarily as a result of the decrease
in the humidity difference, except during wintry arctic
cold air outbreaks which often lead to very high
evaporation rates and therefore to positive freshwater
fluxes. Although evaporation is quite high, large
negative values of E� P can be found in the Gulf
Stream and Kuroshio regions, below � 4mmd�1

during the winter owing to high precipitation, while
in all other months evaporation almost balances
precipitation.

An analysis of the fresh water flux on a seasonal
scale (Figures 4A–D) reveals that the eastern parts of
the Arabian Sea, the Bay of Bengal, and the South
China Sea all have negative values of fresh water flux
during summer (Figure 4C) and autumn (Figure 4D).
Further, on an annual scale, it can be seen that the
eastern equatorial Indian Ocean, the Bay of Bengal,
and the Kuroshio and the Gulf Stream regions all
exhibit negative fluxes. The regions of positive flux are
over the north-west Arabian Sea and the southern
Indian Ocean south of 201 S. Also, the North Atlantic
and the South Atlantic exhibit positive fluxes on both
sides of the ITCZ.

Discussion and Conclusion

Table 1 shows how existing estimates of the fresh
water flux and its components differ from some
examples of estimates from different sources found
in the literature. Whereas the older estimates from
observations are comparable to the results from
General Circulation Models, the satellite estimates
differ considerably from all of them. However, today
there is no agreed true value for E� P. Current results
of global analyses seem not to be very reliable, but
centers like ECMWFare improving the assimilation of
rainfall estimates from satellite data, and these will be
operational in a fewyears. Satellite data sets have great
potential to be improved in the future by using
sophisticated methods of intercalibration between
different satellites. In the case of basic state variables
U, Qa, and TS, improvements are expected from
intercomparison of the satellite estimates with high-
quality surface-based measurements.

See also

Aerosols:Climatology of Tropospheric Aerosols.Air–Sea
Interaction: Momentum, Heat and Vapor Fluxes; Sea
Surface Temperature. Clouds: Climatology. Data Anal-
ysis: Time Series Analysis. Humidity Variables. Satel-
lite Remote Sensing: Precipitation. Turbulent
Diffusion. Weather Prediction: Data Assimilation.
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Introduction

The air–sea interface acts as the conduit for the
transfer of gases such as oxygen, dimethyl sulfide,
carbon monoxide, carbon dioxide, and methyl iodide
between the oceans and atmosphere. The air–sea
interface is therefore of fundamental importance in
studies of marine productivity, biogeochemical cycles,
atmospheric chemistry, climate, and human health.
For example, about 30% of the world’s population is
at risk of iodine deficiency disorders that impair
mental development. The main supply of iodine to
land is the transfer of volatile iodine compounds
produced in the oceans to the atmosphere via the air–
sea interface. A further example is that the oceans take
up about 30% of the anthropogenic CO2 annually
emitted to the atmosphere and represent the long-term
sink for most of the predicted future emissions of
anthropogenic CO2.

It has proved to be extremely difficult to measure
air–sea gas fluxes in situ. As a result, they have been
calculated from the product of the concentration
difference between the two phases and a kinetic (or
rate) term known as the gas transfer coefficient (k).
The gas transfer coefficient is also known as the
transfer velocity as it has dimensions of length per unit
time. As most gases of interest are produced and/or
destroyed within the ocean or atmosphere, there is
considerable spatial and temporal variability in con-
centration fields. Large international research pro-
grams have attempted to quantify this variability and
to understand gas production and removal mecha-

nisms, with the aim of predicting concentration fields
by using oceanic/atmospheric models.

Rather less progress has been made in understand-
ing the basic mechanisms behind air–sea gas transfer,
although the two most important variables are
molecular diffusivity and the degree of turbulence
close to the air–water interface. One of the main
parameters linked to turbulence is wind speed, al-
though observations from laboratory studies suggest
that other variables such as surfactants, breaking
waves, and bubbles also influence k. Although models
predict that k should rise with increasing wind speed
(or more correctly friction velocity), the dominant
mechanism is not agreed upon. A major problem is a
dearth of knowledge concerning the sea surface
microlayer (usually defined as the top 1mm of the
sea) and its properties.

Given the lack of a comprehensive understanding of
the processes controlling gas exchange, various ingen-
ious techniques have been developed to try to measure
k in situ in order to develop and test parameterizations
based on easily measurable and readily available
environmental variables such as wind speed. An
improvement on wind speed-based parameterizations
is dependent on a better understanding of the proc-
esses controlling air–sea exchange and on new tech-
niques to measure k over short time scales.

The Two-Film Model of Gas Exchange

The simplest model of air–sea gas transfer is the two-
filmmodel illustrated in Figure 1. Although physically
unrealistic, it is useful in visualizing how gas transfer
between the two interfaces may occur. The model
assumes that the main bodies of air and water are well
mixed and that transfer through the two thin films is by
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molecular diffusion only. The net flux of gas through
either film is given by the product of the concentration
difference across the film and a kinetic term known as
the gas transfer coefficient (k) (eqn [1]).

F ¼ kwðCai � CwÞ ¼ kaðCa � CaiÞ ½1�
If the gas obeysHenry’s lawand assuming the system is
at steady state, then the relationship between Cai and
Cwi is given by eqn [2] where H is the Henry’s Law
coefficient.

Cai ¼ H

Cwi
½2�

It can be shown that eqn [3] holds, where Kw and Ka

are given by eqn [4].

F ¼ Kw
Ca

H
� Cw

� �
¼ KaðCa �HCwÞ ½3�

1

Kw
¼ 1

kw
þ 1

Hka
;

1

Ka
¼ H

kw
þ 1

ka
½4�

The flux of gas between the air–water interface is
therefore given by the concentration difference be-
tween the bulk air and bulk sea water after correcting
for solubility (i.e., the degree of disequilibrium be-
tween the two phases) and an overall transfer coeffi-
cient that is itself dependent on the individual transfer
coefficients in the air and water. In practice, for most

sparingly soluble (highH) gases (e.g., oxygen, carbon
dioxide, methane, methyl bromide) the rate-limiting
step is transfer through the aqueous thin film because
molecular diffusion through water is considerably
slower than in air. The term 1/kw then dominates and,
ignoring the second equality, eqn [3] simplifies to the
more familiar expression for estimating air–sea gas
fluxes, eqn [5].

F ¼ kw
Ca

H
� Cw

� �
½5�

For some gases that either react with water or are
highly soluble, the term 1/Hka dominates. These gases
include hydrogen chloride, sulfur dioxide, water, and
probably ammonia. There are relatively few gases
for which eqn [3] does not simplify, although recent
laboratory experiments suggest that transfer through
both filmsmay need to be considered for flux estimates
of dimethyl sulfide at low temperatures or moderate
wind speeds and of some organic gases (e.g., PCBs and
pesticide vapors). As there is much information on the
term ka from research into air–sea fluxes of water
vapor (seeAir–Sea Interaction:Momentum, Heat and
Vapor Fluxes) the remainder of this article will
concentrate on the determination of kw and air–sea
fluxes of sparingly soluble gases.

If kw is known for any particular gas, then it can be
derived for another gas using eqn [6].

kw1

kw2
¼ Sc1

Sc2

� ��n

½6�

In eqn [6], Sc (the Schmidt number) is temperature
dependent and is defined as the ratio of the kinematic
viscosity of sea water and the molecular diffusivity of
the gas of interest. Note that the thin-film model
implies that the value of n (the Schmidt number
dependence) is unity as kw would be proportional to
molecular diffusivity.

Chemical Enhancement

The transfer rate of CO2may be enhanced by reaction
with OH� in the aqueous thin film. This effect is most
important at low wind speeds and high water temper-
atures (e.g., in equatorial regions) and may cause an
enhancement of up to 8% in kw in these regions. No
experiment has yet shown that this effect operates
at sea.

Laboratory Experiments with
Wind/Wave Tanks

The vast majority of experiments designed to under-
stand the mechanisms behind the process of air–sea

Eddy diffusion Perfect
mixing

Perfect
mixing

Molecular diffusion only

Molecular diffusion only

Concentration

Air−sea
interface

Eddy diffusion

Ca

Cai

Cw

Cwi

Figure 1 The two-film model of gas exchange. The various

parameters are defined in the text. (Adapted with permission from

Nature (Liss PS, Slater PG (1974) Flux of gas across the air–sea

interface 247: 181–184) Copyright (1974) Macmillan Magazines

Limited.)
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gas exchange and to identify variables that influence
kw have been conducted in wind tunnels. These vary
greatly in scale and sophistication and may have the
ability to mechanically generate waves and bubbles
and possess a return flow for the air andwater phases –
i.e., a closed system.

These experiments have shown that the thin-film
model is too simple. At lowwind speeds kwwas found
to vary with Sc� 0.67. This behavior is in agreement
with boundary layer models. However, once wind-
induced waves were observed on the surface of the
water, kw varied with Sc�0.5. This is in agreement with
surface renewal models, where water in the aqueous
thin film is periodically replaced by fluid from the bulk
water. The exact wind speed (or friction velocity) at
which this regime changes was found to vary with the
facility being used. At high wind speeds when wave
breaking and bubbles are present, an enhancement in
kw was observed that was dependent on the solubility
of the gas. This solubility effect is due to the limited
volume of air contained within a bubble.

Artificial surfactants have long been known to
reduce kw in wind/wave tanks. Laboratory experi-
ments with sea water have shown that the decrease in
kw correlates inversely with bulk-water chlorophyll
and with colored dissolved organic matter. Except for
low wind speeds, the reduction in kw is not caused by
insoluble surfactant films (slicks) but is due to the
presence of soluble surfactants that alter the hydro-
dynamic properties of the sea surface. Soluble surfact-
ants can reduce gas exchange even in the presence of
breaking waves. Laboratory studies have found,
however, that kw showed a reasonable correlation
with the totalmean squarewave slope (particularly for
the shorter wind waves), suggesting that this param-
eter, although difficult to measure at sea, might be a
useful predictor of gas exchange rates.

The good correlation with the mean square wave
slope of shorter wind waves has led investigators to
assume that a wave-related mechanism controls kw at
low and intermediate wind speeds. This mechanism is
thought to be increased turbulence due to microscale
wave breaking that leads to surface renewal.However,
these microscale breakers might be suppressed at
higher wind speeds owing to the presence of large
breaking waves.

Large breaking waves are also known to be associ-
ated with high levels of near-surface turbulence and
with bubble formation. Laboratory experiments have
shown that bubbles are extremely efficient in increas-
ing kw for poorly soluble gases (see Figure 2). The
initial injection of the bubble enhances gas transfer by
disrupting the microlayer; the air inside the bubble
then exchanges with the bulk sea water (air–water gas
transfer that bypasses the air–sea interface) and the

bubble then either dissolves completely or rises to the
surface, where it again disrupts themicrolayer causing
surface renewal. It is not yet clear how much bubbles
and breaking waves contribute to gas exchange at sea,
although models of bubble-mediated gas transfer
predict that kw for insoluble gases will be significantly
enhanced.

To summarize, it seems reasonable to assume that
there are several mechanisms, some of them compet-
ing, that influence gas exchange rates in the seas and
oceans. Although wind and wave tank experiments
suggest that there are three clear regimes – smooth,
ripples, and breaking waves – in which gas exchange
rates can be predicted from wind speed, such predic-
tion is much more difficult in a system as complex and
variable as the ocean, where wind is not intimately or
immediately linked to wave field.

In Situ Measurements of Gas
Transfer Rates

Large-Scale Measurements

Radiocarbon Radiocarbon (14C) is produced natu-
rally in the atmosphere and transferred across the air–
sea interface into the oceans. If the system is in
equilibrium, the flux of 14C from the atmosphere is
balanced by radioactive decay in thewater column.An
estimate of the global annual value for kCO2

of
2175 cmh�1 can therefore be produced. Similarly,
by measuring increased 14C present in the oceans as a
result of atmospheric nuclear bomb tests, an inde-
pendent estimate of kCO2

of 2273 cmh�1 can be
derived, in good agreementwith the natural 14C value.

Although the 14C technique gives good estimates of
globally averaged kCO2

, it yields little information on

Atmosphere

Surfacing
Entrainment

Gas
exchange

Gas
exchange

Ocean

Advection

Solution

Figure 2 A schematic of bubble evolution after entrainment into

the upper ocean. (Reproduced with permission from Woolf DK

(1997) Bubbles and their role in gas exchange. In: Liss PS, Duce

RA (eds) The Sea Surface and Global Change, pp. 173–205.

Cambridge University Press.)
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how k varies in time and space, or indeed how to
calculate k for other gases. Parameterizations of kw
have therefore been proposed by fitting quadratic and
cubic curves such that, when averaged over the range
of global wind speeds, they are in agreement with the
global mean kw determined above (Figure 3). The
assumption is alsomade that the value for the Schmidt
number dependence (n) in eqn [6] is 0.5.

Oxygen/nitrogen ratios Amore recent technique for
deriving regional estimates of the annual mean kw is
based on high-precisionmeasurements of atmospheric
oxygen/nitrogen (O2/N2) ratios from baseline sites
situated around the globe. The technique depends on
the use of CO2 data to correct for the effects of land/
atmosphere fluxes on O2/N2 ratios and on an atmos-
pheric transport model to simulate oceanic fluxes.
Annual values for kCO2

of 2476 and 29712 cmh�1

were calculated for ocean areas north of 301N and
south of 301 S respectively. Although higher than
estimates derived from 14C, these values agree with
them within measurement uncertainties.

Local Measurements

Mass balance This technique involves time-series
measurements of a gas (typicallyCO2orO2) that is out
of equilibriumwith the atmosphere to try to obtain the
flux of the gas across the air–sea interface by use of a
water-side mass budget. However, it is difficult to
accurately quantify all the production and/or removal

processes within the water column. Additionally,
advection and dispersion at the sampling site are
major problems. The use of deliberate tracer tech-
niques may help to overcome this by enabling meas-
urements to be made within a Lagrangian framework.

Radon Radioactive decay of radium-226 (226Ra) to
the gas radon-222 (222Rn) occurs within the water
column and radon is therefore transferred from the
surface mixed layer to the atmosphere. A mass budget
can bemade of the ‘missing’ radon by assuming steady
state with deeper waters and a value for kRn can be
derived. The mean value for kCO2

obtained using this
technique is about 14 cmh�1 (corrected from kRn by
assuming n5 0.5). The radon data show a large
amount of scatter with wind speed and the technique
has shortcomings in that the condition of steady state
is rarely fulfilled.

Deliberate tracers Sulfur hexafluoride (SF6) is an
inert, volatile tracer and has been deliberately
added to water bodies to determine kw. Experiments
in enclosed lakes showed a good correlation between
kw and wind speed and a parameterization of kw
developed from these studies predicts a similar global
mean (12 cmh� 1) to that obtained from the radon
data. Co-release of helium-3 (3He) has allowed a
value of 0.5 for the Schmidt number dependence
to be measured, in agreement with surface renewal
models.
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Figure3 Three parameterizations of kwwithwind speedare shown.The dashed line is a cubic fit to the globalmean kw derived from
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Two tracers are required to use this technique at sea
in order to correct for dilution of the tracer due to
horizontal and vertical mixing. Values for kw can then
be calculated from the change in the ratio of the two
tracers (usually SF6 and 3He) over time, and subse-
quently correlated with environmental variables. The
main drawbacks to the technique are that the time
interval over which measurements are made is typi-
cally 8–72 h and that only a small number of data can
be obtained per experiment. Data from coastal regions
and the Pacific Ocean are shown in Figure 3 and fall
between existing wind speed-based parameterizations
of kw. A fit to the dual tracer data combined with
global wind speeds gives a mean kCO2

of 18 cmh� 1,
within the uncertainty associated with the 14C values.

Other nonvolatile tracers have been used in combi-
nation with SF6 and

3He to allow a first measurement
of the Schmidt number dependence n at sea. The value
of close to 0.5 is again in agreement with surface
renewal models.

Micrometeorological Techniques

Covariance The covariance (or eddy correlation)
technique is based upon the directmeasurement of air–
sea gas fluxes by rapid and accurate measurement of
gas concentrations and correlation with the vertical
wind velocity. Early measurements were controversial
because fluxes were orders of magnitude greater than
predicted by the techniques described earlier. Howev-
er, recent improvements to the technique have meant
that direct measurement of CO2 fluxes ought to be
possible in some areas of the oceans. So far only one
study has been published and measurements of kCO2

support the cubic parameterization based on 14C
(see Figure 3).

Atmospheric profiles This technique depends on
accurately measuring small gradients in the concen-
tration profile of gases up to 10m above the air–sea
interface. Measurements of kw based on profile
measurements of CO2 and DMS have been reported
from just one study and thesewere considerably higher
than simultaneous estimates derived from the direct
covariance technique.

Parameterizations of Transfer Velocity

Most parameterizations of kw are based upon wind
speed because it is easy to measure and because the
laboratory and field experiments have shown that
wind speed has a major influence on kw. Three of
the most common parameterizations are shown in
Figure 3. Their use gives global oceanic flux estimates
of gases such as CO2 that vary by up to 100%.

Reassuringly, two recent datasets based on dual tracer
and direct covariance measurements are in reasonable
agree-ment at wind speeds up to 10m s� 1, although
there is still uncertainty in estimating kw at higher
wind speeds where bubbles and breaking waves are
likely to be increasingly important. An alternative
para-meterization has therefore recently been devel-
oped that predicts bubble-enhanced gas exchange
from whitecap coverage.

The nonlinearity of wind speed-based parameter-
izations of kwmeans that care has to be taken to avoid
averaging affects. The use of hourly wind speed data
can lead to CO2 fluxes three times higher than those
derived from daily averages. The form of the relation-
ship ofkwwithwind speed is also important.Although
the cubic and quadratic parameterizations of kCO2

were both developed to give the same mean when
averaged over global winds, the oceanic uptake of
anthropogenic CO2 varies from 1.4 to 2.2GtC y� 1

(1Gt5 109 tonnes5 1015 g5 1 Pg.) This is because
high latitudes are windy areas and tend to be sinks of
CO2, whereas equatorial regions are calm areas and
tend to be sources of CO2 (see Figure 4).

If surfactants influence oceanic gas exchange rates
to a similar extent as in laboratory experiments, then
parameterizations of kw based on wind speed are
unlikely to satisfactorily represent areas where there is
significant biological activity. Although the mean
square wave slope shows a better correlation with kw
in laboratory experiments than does wind speed, it is
not a simple parameter to measure at sea. A param-
eterization of kw that includes more than wind speed,
temperature, and a wave breaking term seems some
way off.

Air–Sea Fluxes of Carbon Dioxide

Atmospheric CO2 concentrations have increased from
about 280 ppm(v) (parts per 106 by volume) in 1800 to
about 360 ppm(v) owing to a combination of fossil
fuel burning and deforestation. The anthropogenic
supply of CO2 to the atmosphere is about 7GtC y�1.
The observed annual increase in anthropogenic CO2

represents about 3.2GtC, the balance being taken up
by the oceans and land. As the oceans are strongly
buffered with respect to CO2, much of the ant-
hropogenic CO2 absorbed by the oceans is converted
to other forms of dissolved inorganic carbon (DIC). At
a typical sea water pH of 8, the dominant DIC species
is HCO3

� , with only 1% in the form of dissolved CO2.
The long-term sink for anthropogenicCO2 is therefore
thought to be the ocean via transfer from the atmos-
phere. In the longer term, the rate-limiting step in the
oceanic uptake of anthropogenic CO2 is not air–sea

88 AIR–SEA INTERACTION / Gas Exchange



gas exchange, but the mixing of the surface waters
with the deep ocean.

Large multinational research programs have at-
tempted to quantify the Cw term of eqn [5] so that an
estimate of the global air–sea flux can be derived (see
Figure 4). The transfer velocity term is derived from a
combination of wind speed-based parameterizations
and global maps of wind speed. Estimates of the
oceanic uptake of anthropogenic CO2 using this
technique vary from 0.6 to 2.2GtCy� 1; much of
this variability depending on the parameterization of
kw employed in the calculation. This approach tends
to give lower fluxes than those derived from global
circulation models and atmospheric isotopic meas-
urements (1.970.6GtC y�1).

There is also a huge natural annual flux of CO2

between the ocean and the atmosphere of almost
90GtC y� 1 that was believed to be almost in balance
(i.e., a net flux close to zero) prior to 1800. Phyto-
plankton growth reduces DIC levels in surface sea
water, causing an undersaturation of dissolved CO2,
and hence CO2 is transferred from the air to the ocean.
The reequilibration time forCO2 is slow (almost a year
compared to a month for dimethyl sulfide) owing to
the buffering of CO2. Respiration processes release
CO2, although some organic and inorganic carbon is
transferred to the deeper oceans via particle sinking.
Ocean circulation also results in regional fluxes of
CO2. Cold upwelling waters are supersaturated with
CO2 and hence represent sources to the atmosphere.
Surface warming decreases the solubility of CO2 and
there is a net transfer of CO2 to the atmosphere,
whereas cooling results in a flux of CO2 from the

atmosphere to the ocean. The main oceanic sinks
for CO2 are therefore at high latitudes. This process is
known as the solubility pump. Almost all of the
anthropogenic CO2 is taken up by the solubility
pump, as CO2 availability does not normally limit
biological productivity in the world’s oceans. Indeed,
a recent modeling study has indicated that includ-
ing present biology in global circulation models
increases the oceanic sink of anthropogenic CO2 by
only 5%.

However, the observation that the net uptake of
anthropogenic CO2 is only 2% of the CO2 cycled
annually across the air–sea interface ought to be of
major concern. Any changes in ocean circulation or
the biogeochemistry of the mixed layer could have a
major impact on the magnitude (or even sign) of the
present oceanic sink of anthropogenic CO2.

Air–Sea Fluxes of Other Gases

Dimethyl Sulfide

Sulfur is a bioessential element. The existence of a
major source of volatile sulfur from the oceans to the
land via the atmosphere had been predicted so as to
balance the loss of sulfur from the land via runoff.
Originally this gaswas believed to be hydrogen sulfide,
but oceanic measurements subsequently showed that
dimethyl sulfide (DMS) was the dominant volatile
sulfur species in the oceans. The production of DMS
and other methylated compounds by marine organ-
isms has been used as evidence in support of the Gaia
hypothesis, as discussed below.
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One of the oxidation products of DMS in the
troposphere is sulfur dioxide, which can then be
further oxidized to sulfuric acid and subsequently
form aerosol sulfate. DMS may therefore indirectly
control atmospheric acidity, particularly in remote
areas away from anthropogenic influence, and act as a
source of cloud condensation nuclei (CCN). Charlson,
Lovelock, Andreae and Warren (CLAW) have hypo-
thesized that algal release ofDMS results in an increase
in cloud cover and hence alters global temperatures.
There is a possible feedback mechanism in that
changes in ocean temperature might alter DMS
production rates.

DMS is produced from a precursor compound
dimethylsulfoniopropionate (DMSP) that is thought
to regulate osmotic pressure in the cells of some species
of phytoplankton. DMSP and DMS are both rapidly
cycled in the water column by a complex interaction
between phytoplankton, zooplankton, bacteria, and
viruses. Perhaps only 4%ofDMSP is transferred to the
atmosphere, with the bulk of the DMS/DMSP being
recycled in the water column or photooxidized. DMS
is therefore highly variable in both space and time. An
interpolated global map containing most of the
published data on DMS is shown in Figure 5. The
highest concentrations are found in coastal upwelling
regions and seasonally at high latitudes. The global

marine flux of DMS to the atmosphere is between 15
and 33Tg S y� 1 (1Tg5 1012 g).

Other Reduced Sulfur Volatiles

Methanethiol (CH3SH) is also produced from DMSP
in a pathway that competeswithDMS production and
may even be the dominant product. However, CH3SH
is thought to be rapidly removed from the water
column by marine bacteria and reaction with dis-
solved organic matter. CH3SH may also have a small
photochemical sink in sea water. Sea water concen-
trations were therefore assumed to be considerably
lower than for DMS, although fewmeasurements had
been made. Recent data indicate that levels of CH3SH
in the open Atlantic are typically about 10% those of
DMS but that concentrations in upwelling and coastal
regions were as high as 20% those of DMS. In some
areas the ratio of CH3SH to DMS was unity. This
would make CH3SH the second most dominant
volatile sulfur compound in sea water and suggests
that CH3SHought to be considered in future studies of
DMS/DMSP cycling and in estimates of biogenic
sulfur fluxes (see Table 1).

Carbonyl sulfide (COS) is produced photochemi-
cally from colored dissolved organic matter (CDOM)
and its principal lossmechanism in thewater column is
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by hydrolysis. A diurnal cycle for COS has been
reported in surface waters, with the ocean acting as
a sink of COS late at night and in early morning but as
a source to the atmosphere for the remainder of the
day. The presence of significant undersaturations
suggests that in situdegradation rates are high. The net
flux from the oceans to the air is thought to be
0.1TgCOS y� 1. As CDOM levels are higher in
coastal areas, fluxes from the coastal seas could be
up to 0.2 TgCOSy� 1, although the data onwhich this
estimate is based are sparse.

Carbon disulfide (CS2) is also known to have a
photochemical source from CDOM, although a bio-
logical source has been reported.CS2 has no significant
sink in the water column other than transfer to the
atmosphere.The global oceanic flux to the atmosphere
has been estimated to be 0.13–0.24TgCS2 y

� 1.

Methyl Bromide

Methyl bromide (CH3Br) is commonly used in agri-
culture as a fumigant and its use is currently limited by
international agreement. Methyl bromide is removed
by reaction with the hydroxyl radical in the tropo-
sphere, but the reaction is slow enough that a
significant fraction is mixed into the stratosphere.
Indeed, CH3Br is thought to be the main source of
bromine in the stratosphere, where bromine is an
effective participant in the catalytic removal of ozone.
Supersaturations of up to 300%have been observed in
the northern Atlantic and in coastal regions, although

significant undersaturations have been measured in
the tropical Atlantic and Pacific Oceans and the
Southern Ocean. Methyl bromide is removed from
the water column by hydrolysis and possibly by some
marine bacteria. The source(s) of CH3Br in surface
waters are not well characterized, but some species of
phytoplankton are known to release CH3Br. A year-
long time-series study in theNorth Sea showed that the
water column was supersaturated for only 3 months
and present research suggests that the ocean acts as a
net sink for atmospheric CH3Br of 11–20Gg y� 1 (see
Table 1).

Methyl Iodide

In addition to acting as the main source of iodine to
land, volatile iodine compounds are also thought to be
important in the oxidation capacity of the troposphere
via the production of the iodine oxide radical. Methyl
iodide (CH3I) is substantially oversaturated in almost
all surface waters, although undersaturations have
been reported in the Greenland and Norwegian seas
during winter. High levels of CH3I in coastal seas and
in the SouthernOcean have been associated with algal
blooms dominated byPhaeocystis. This, togetherwith
observations that some laboratory diatom cultures
release CH3I, has led to the supposition that the source
of oceanic CH3I is biological. However, the presence
of supersaturated levels of CH3I in the tropical
Atlantic Ocean, an area of low biological activity, is
indicative of a photochemical source. A temperature-

Table 1 Marine gases of atmospheric relevance and their ocean–atmosphere fluxes

Gas Atmospheric role Production

mechanism

Annual net

marine fluxn
Percentage of

atmospheric source

Anthropogenic CO2 Greenhouse gas Combustion � 1.970.6PgCa �30%a

DMS Cloud formation and acidity Phytoplankton 15–33TgSb 80%c

CH3SH Cloud formation and acidity Phytoplankton 1.5–3.3TgS ? ?

COS Cloud formation and acidity Photochemistry 0.3Tgc 40%c

CS2 Cloud formation and acidity Photochemistry 0.13–0.24Tgd 20–35%c

CH3Br Ozone depletion Phytoplankton? � 11 to � 20Gge �9 to � 17%e

CH3I Oxidation capacity Phytoplankton?

Photochemistry?

0.13–0.36Tgf ?

N2O Greenhouse gas, ozone

depletion

Microbial

(de)nitrification

11–17TgNg 60–90%a,g

CH4 Greenhouse gas, oxidation

capacity

Bacteria 15Tga 2–3%a

CO Oxidation capacity Photochemistry 300–650TgCa,h 10–20%a

n1Gg5109 g; 1 Tg51012 g;1Pg51015 g.
aIPCC (2001)
bKettle and Andreae (2000)
cWatts (2000)
dXie and Moore (1999)
eKing et al. (2000)
fMoore and Groszko (1999)
gBange et al. (1997)
hLaw et al. (2002).
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dependent chemical loss has been speculated via
hydrolysis and reaction with chloride. The oceans
and coastal seas are thought to represent the dominant
supply of CH3I to the atmosphere (see Table 1).

Other iodinated compounds have been identified
in sea water, including ethyl iodide, propyl
iodide, bromoiodomethane, chloroiodomethane,
and diiodomethane. Little is known about their
production mechanisms, although studies with
macroalgae suggest that their production may be
linked to a haloperoxidase enzyme. Loss mechanisms
are likely to include photochemistry. Information is
too limited for global fluxes to be derived for these
compounds.

Nitrous Oxide

Nitrous oxide (N2O) is a climate-active gas that
presently contributes 5% of the current greenhouse
forcing. N2O also acts of a source of nitric oxide in the
stratosphere and therefore participates in the catalytic
removal of ozone. N2O is produced as a reaction
intermediate in both microbial denitrification and
nitrification processes and at greater rates under low
oxygen concentrations.Most of theworld’s oceans are
close to equilibriumwith the atmosphere and themean
oceanic supersaturation has been calculated at only
4%. However, there are significant oceanic areas of
N2O production, which include the North-West
Indian Ocean, the eastern tropical Pacific Ocean, the
subtropical North Pacific, and some coastal regions. It
was originally thought that the main source of N2O
was in and below the pycnocline where oxygen levels
are often reduced.More recently, estimates of diffusive
supply of N2O through the thermocline suggest that
there are probably bacterial nitrification processes
occurring in the mixed layer that contribute signifi-
cantly to the atmospheric flux of N2O. The oceans
have been estimated to contribute 2–7TgNy� 1 to the
atmosphere, although the total marine source could
increase to 11–17TgNy� 1 when coastal areas, par-
ticularly estuaries, are included (see Table 1).

Methane

Methane (CH4) is another radiatively active gas that
presently contributes about 15% of the current
greenhouse forcing and is important in the oxidative
capacity of the atmosphere. Methane is formed in sea
water by methanogenic bacteria present in anoxic
microenvironments (e.g., zooplankton guts and detri-
tus). Methane production is greatest in biologically
productive areas. Saturations up to 200% have been
observed in upwelling regions, but are typically only
130% in the oceans. Production rates are highest at the
base of the mixed layer. Recently, methane levels up to

20 000% supersaturated have been observed in estu-
aries and linked to turbidity maxima. However, there
are too few data to calculate the impact of estuarine
sources on global methane fluxes. The dominant flux
of marine methane (75%) to the atmosphere is
thought to be from shelf regions, although even this
flux is minor compared to anthropogenic sources
(see Table 1).

Carbon Monoxide

Carbonmonoxide (CO) plays an important role in the
oxidation capacity of the atmosphere and is produced
photochemically from colored dissolved organic mat-
ter (CDOM). CO also has a marine sink in that it can
be oxidized to CO2 by some microbial groups,
although this process is probably only significant in
coastal regions. The oceanic flux to the atmosphere
has been estimated at anything from10 to 240Tg y�1.
Modeling of atmospheric CO profiles close to the sea
surface indicates that the oceanic flux could be at the
higher end of these estimates.Much of the uncertainty
is due to poor seasonal and spatial coverage, but there
may be a systematic underestimation because, as the
main production mechanism is photochemical, CO
concentrations may be greatest close to the air–sea
interface. This implies that fluxes based on measure-
ments from depths of 4 to 10m may be significant
underestimates. Additionally, CO is likely to have
large sources from coastal areas and estuaries where
CDOM levels are greatest and huge supersaturations
have been measured. Coastal regions and shelf seas
have been tentatively estimated to be a source of 300–
400TgCOy�1 to the atmosphere, although meas-
urements are limited.

See also

Air–Sea Interaction: Momentum, Heat and Vapor Flux-
es. Beaufort Wind Scale. Biogeochemical Cycles:
Carbon Cycle; Sulfur Cycle. Boundary Layers: Ocean
Mixed Layer.Carbon Dioxide.Ozone:Ozone Depletion.
Parameterization of Physical Processes: Turbulence
and Mixing. Stratospheric Chemistry and Composi-
tion:Halogens. Tropospheric Chemistry and Compo-
sition: Ammonia and Ammonium; Biogenic Hydrocarbons
(inc. isoprene); Carbon Monoxide. Turbulence and
Mixing.
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Introduction

The maintenance of the Earth’s climate depends on a
balance between the absorption of heat from the Sun
and the loss of heat through radiative cooling to space.
For each 100Wof the Sun’s radiative energy entering
the atmosphere nearly 40W is absorbed by the ocean –
about twice that absorbed in the atmosphere and three
times that absorbed by land surfaces.Muchof this heat
is transferred to the atmosphere by the local sea to air
heat flux, amajor component ofwhich is caused by the
evaporation of water vapor. Although about 90% of
the evaporated water falls back into the sea (see Air–
Sea Interaction: Freshwater Flux), the remainder
represents about one-third of the precipitation which
falls over land. The geographical variation of the
atmospheric heating drives the weather systems and

their associatedwinds. Thewind transfersmomentum
to the sea, causing waves and the wind-driven
currents. Major ocean currents transport heat pole-
ward and at higher latitudes the sea to air heat transfer
significantly ameliorates the climate. Thus the heat,
water vapor, andmomentum fluxes through the ocean
surface form a crucial component of the Earth’s
climate system.

Having defined the various fluxes and their order of
magnitude, this article will review methods of flux
measurement and the sources of flux data. The
regional and seasonal variation of the fluxes will be
summarized. Following a discussion of the accuracy of
our present flux estimates, the potential for future
improvements will be considered.

Definition of the Fluxes

The momentum flux is the downward transfer of
horizontal momentum caused by the drag of the sea
surface on the wind. The wave-covered sea surface is
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continually inmotion and, comparedwith typical land
surfaces, appears remarkably smooth to the air flow.
For gale forcewinds thewavesmay be 10mormore in
height, but the momentum flux is no more than that
which would occur over a flat plain. As a result, wind
speeds over the ocean tend to be greater than those
over land.

The total heat transfer through the ocean surface,
the net heat flux, is a combination of several compo-
nents. The shortwave radiative flux (wavelength
0.3–3 mm) is the heat input from the Sun. Around
noon on a sunny day this flux may reach about
1000Wm�2 but, when averaged over 24 hours, a
typical value is 100–300Wm�2, varying with latitude
and season. Depending on the solar elevation and the
sea state, about 6% of the incident radiation is
reflected from the sea surface. Most of the remainder
is absorbed in the upper few meters of the ocean. In
calm weather, with winds less that about 3m s�1, a
shallow layermay formduring the day inwhich the sea
has been warmed by a few degrees Celsius (a ‘diurnal
thermocline’). However, under stronger winds or at
night the absorbed heat becomesmixed down through
several tens of meters. Thus, in contrast to land areas,
the typical day to night variation in sea and air
temperatures is small, typically less than 11C. Both the
sea and the sky emit and absorb long-wave radiative
energy (wavelength 3–50mm). Because, under most
circumstances, the radiative temperature of the sky is
colder than that of the sea, the downward long-wave
flux is usually smaller than the upward flux. Hence the
net longwave flux acts to cool the sea surface, typically
by 30Wm�2 (if cloudy) to 80Wm�2 (clear skies).

The turbulent fluxes of sensible and latent heat also
typically transfer heat from sea to air. The sensible heat
flux is the transfer of heat caused by the difference in
temperature between the sea and the air. Overmuch of
the ocean this flux cools the sea by perhaps
10–20Wm�2. However, where cold wintertime con-
tinental air flows over warm ocean currents, for
example, the Gulf Stream region off the eastern
seaboard of North America, the sensible heat flux
may reach 100Wm� 2. Conversely, in regions like the
summertime North Pacific Ocean, warm winds blow-
ing over a colder ocean may result in a small sensible
heat flux into the ocean. Under most weather condi-
tions the evaporation of water vapor from the sea
surface results in a water vapor flux from the sea to the
air. The latent heat flux is the heat absorbed on
vaporization of the water. This heat is released to
warm the atmosphere when the vapor condenses to
formclouds.Usually the latent heat flux is significantly
greater than the sensible heat flux, being on average
100Wm�2 ormore over large areas of the ocean.Over
regions such as the Gulf Stream, latent heat fluxes of

several hundred Wm�2 are observed. In foggy condi-
tions, with the air warmer than the sea, condensation
may occur on the sea surface, and the vapor flux and
latent heat flux are directed from air to sea. In
summertime over the fog-shrouded Grand Banks off
Newfoundland, themeanmonthly latent heat transfer
is directed into the ocean, but this is a very exceptional
case.

Measuring the Fluxes

For the radiative fluxes, the standard method is to
measure the voltage generated by a thermopile ex-
posed to the incident radiation. A pyranometer,
mounted in gimbals for use on a ship or buoy, is
used to measure the incoming shortwave radiation
(Figure 1). For better accuracy the direct and diffuse
components should be determined separately but at
present this is rarely done over the sea. The reflected
short-wave radiation is normally calculated using
tabulated values of the albedo for different solar
elevations. Pyrgeometers, used for longwave radia-
tion, are similar to pyranometers but have a coated
dome to filter out the shortwave radiation. For these
the use of gimbals is less important, but a clear sky
view is required and corrections for the dome temper-
ature and short wave leakage are needed. Again, only
the downward component is normally measured; the
upward component is calculated from the temperature
and the emissivity of the sea surface.

The turbulent fluxesmay bemeasured directly in the
near surface atmosphere using the eddy correlation
method. For example, if upward-moving air in the
turbulent eddies is on average warmer and moister
than the downward-moving air, then there is an
upward flux of sensible heat and water vapor and
hence also of latent heat. Similarly, the momentum

Figure 1 A pyranometer used for measuring short-wave radia-

tion. The thermopile is covered by two transparent domes.

(Photograph courtesy of Southampton Oceanography Centre.)
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flux may be determined from the correlation between
horizontal and vertical wind fluctuations. Accurate
eddy correlation measurements over the ocean are
difficult. Since a large range of eddy sizes may
contribute to the flux, fast-response sensors capable
of sampling at 10Hz or more must be exposed for
periods of order 30minutes for each flux determina-
tion. For instrumentation mounted on a buoy or ship
the six components of the wave-induced motion must
be measured and removed in the signal processing
procedure. The distortion both of the turbulence and
of themeanwind by ship, buoy, or fixed towermust be
minimized and, if possible, corrected for. While three-
component ultrasonic anemometers (Figure 2) are
relatively robust, the sensors for measuring fluctua-
tions in temperature and humidity have previously
been fragile and, in the marine atmosphere, prone to
contamination by salt particles and sea spray. Im-
proved sonic thermometry, and water vapor instru-
ments using microwave refractometry or differential
infrared absorption, are relatively recent develop-
ments. Thus eddy correlation measurements are not
routinely obtained over the ocean; rather they are used

in air–sea interaction experiments to calibrate other
flux estimation methods.

In the inertial dissipation method, fluctuations of
the wind, temperature, or humidity at a few hertz are
measured and related, through turbulence theory, to
the fluxes. This method is less sensitive to flow
distortion or platform motion but relies on various
assumptions regarding the formation and dissipation
of turbulent quantities that may not always be valid. It
has been implemented on some research ships to
increase the range of available flux data.

The bulk (aerodynamic) formulas are the most
commonly used method of flux estimation. The flux is
determined from the difference between the temper-
ature, humidity or wind at some measurement height,
z, and the value assumed to exist at the sea surface –
respectively the sea surface temperature, 98% satura-
tion humidity (to allow for salinity effects), and zero
wind (or any non-wind-induced water current). Thus
the fluxFx of somequantityx is givenby eqn [1],where
r is the air density and Uz is the wind speed at the
measurement height.

Fx ¼ rUzCxzðxz � x0Þ ½1�

While appearing intuitively correct (for example,
blowing over a hot drink will cool it faster) these
formulas can also be derived from turbulence theory.
The value for the transfer coefficient, Cxz, character-
izes both the surface roughness applicable to x and the
relationship between Fx and the vertical profile of x.
The transfer coefficient varies with the atmospheric
stability, which itself depends on the momentum,
sensible heat, and water vapor fluxes as well as the
measurement height. Thus, although it may appear
simple, eqn [1] must be solved by iteration, initialized
using the equivalent neutral value of Cxz at some
standard height (normally 10m), Cx10n. Typical neu-
tral values are shown in Table 1.

Many research problems remain. For example: the
increase of CD10n at higher wind speeds must depend
on the varying sea state, but can the latter be
successfully characterized by the ratio of the predo-
minant wave speed to the wind speed (the wave age),
or by factors like the wave height and steepness, or is a
complete spectral representation of the wave field
required? What are the effects of waves propagating
from other regions at varying angles to the wind (i.e.,
swell waves)? What is the exact behaviour of CD10n in
lowwind speed conditions? SinceCE10n andCH10n are
not well defined by the available experimental data,
recent implementations of the bulk algorithms have
used theoreticalmodels of the ocean surface (knownas
surface renewal theory) to predict these quantities
from the momentum roughness length.

Figure 2 The sensing head of a three-component ultrasonic

anemometer. The wind components are determined from the

different times taken for sound pulses to travel in either direction

between the six ceramic transducers. (Photograph courtesy of

Southampton Oceanography Centre.)
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Sources of Flux Data

Until recent years the only routinely available sources
of data were the weather reports frommerchant ships.
Organized as part of theWorldWeatherWatch system
of the World Meteorological Organization, these
voluntary observing ships (VOS) are asked to transmit
coded weather messages at 00.00, 06.00, 12.00 and
18.00 GMT daily, and to record a more detailed
observation in a weather logbook. The very basic
instruments used normally include a barometer and a
means of measuring air temperature and humidity:
wet and dry bulb thermometers mounted in a hand-
swung sling psychrometer or in a fixed, louvered
Stevenson screen. Sea temperature is obtained using a
thermometer and an insulated bucket, or by reading
the temperature of the engine cooling water intake.
Depending on which country recruited the VOS, an
anemometer and wind vane might be provided, or the
ship’s officers might be asked to estimate the wind
velocity from the sea state using a tabulated Beaufort
scale. Because of the problems of adequately siting an
anemometer and maintaining its calibration, these
visual estimates are not necessarily considered inferior
to anemometer-based values.

The bulk formulas are used to calculate the turbu-
lent fluxes from the VOS observations. However, in
many cases the accuracy is poor. In particular, a large
ship can produce significant changes in the local
temperature and wind flow. The radiative fluxes must
be estimated from the observer’s estimate of the cloud
amount plus, for short wave, the solar elevation, or for
long wave, the sea and air temperature and humidity.
The unavoidable observational errors and the crude
form of the radiative flux formulas imply that large
numbers of reports are needed, and correction
schemes must be applied, before satisfactory flux
estimates can be obtained. Though there are presently
nearly 7000 VOS, they tend to be concentrated in the
main shipping lanes. While coverage over most of the
North Atlantic and North Pacific is adequate to
provide monthly mean flux values, elsewhere data is
mainly restricted to relatively narrow, major trade
routes. For most of the Southern Hemisphere the VOS

data are only capable of providing useful values if
averaged over several years, and reports from the
Southern Ocean are very few indeed. These problems
must be borne in mind when studying the flux
distribution maps shown in marine climatological
atlases, of which examples are presented below.

Satellite-borne sensors can overcome these sam-
pling problems. ‘Passive’ sensors measure the radia-
tion emitted from the sea surface and the intervening
atmosphere at visible, infrared, or microwave fre-
quencies; ‘active’ sensors transmit microwave radia-
tion and measure the returned signal. The problem is
to develop methods of determining the fluxes from the
various satellite data that can be obtained. For
example, sea surface temperature has been routinely
determined using visible and infrared radiometers
since about 1980. However, the data must be fre-
quently checked against ship and buoy values to avoid
errors due to changes in atmospheric aerosol content
that may follow volcanic eruptions. Satellite-derived
fields of net surface shortwave radiation are available;
values for the net surface longwave radiation are less
accurate. The surface wind velocity can be determined
to good accuracy by active scatterometer sensors by
measuring the microwave radiation back-scattered
from the sea surface. The determination of near-
surface air temperature and humidity from satellites is
hindered by the relatively coarse vertical resolution of
the retrieved data. Thus the radiation emitted by the
near-surface air is dominated by that originating from
the sea surface. Statistically based algorithms for
determining the near-surface humidity have been
successfully developed.More recently, neural network
techniques have been applied to retrieving both air
temperature and humidity; however, there is presently
no routinely available product. Thus the satellite flux
products for which useful accuracy has been demon-
strated on a global basis are presently limited to
momentum, short-wave radiation, and latent heat
flux.

Numerical weather prediction (NWP) models (as
used in weather forecasting centers) estimate values of
the air–sea fluxes as part of the calculations. Assimi-
lating much of the available data from the World

Table 1 Typical values (with estimated uncertainties) for the transfer coefficients. Neither the low wind speed formula forCD10n nor the

wind speed belowwhich it should beapplied, arewell definedby the available, very scattered, experimental data. It should be taken simply

as an indication that, at low wind speeds, the surface roughness increases as the wind speed decreases

Flux Transfer coefficient Typical values

Momentum Drag coefficient, CD10n 0.61 (70.05)10.063 (70.005) U10n (U10n43ms� 1)

0.6110.57/U10n (U10no3ms� 1)

Sensible heat Stanton no., CH10n 1.1 (70.2)�10�3

Latent heat Dalton number, CE10n 1.2 (70.1)�10�3
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Weather Watch system, including satellite data,
radiosonde profiles, and surface observations, NWP
models are potentially the best source of flux data.
However, there are a number of problems. The vertical
resolution of these models is relatively poor and many
of the near-surface processes have to be represented in
terms of larger-scale parameters. Improvements to
NWPmodels are judged on the resulting quality of the
weather forecasts, not on the accuracy of the surface
fluxes, which may become worse. Indeed, the contin-
ual introduction of model changes results in time
discontinuities in the output variables. Thus the
determination of interannual variations is difficult
and, for that reason, centers such as the European
Centre for Medium Range Weather Forecasting
(ECMWF) and the US National Centers for Environ-
mental Prediction (NCEP) have recently reanalyzed
the past weather over several decades. The surface
fluxes from these reanalyses are receiving much study.
Those presently available appear less accurate than
fluxes derived from VOS data in regions where there
aremanyVOS reports; in sparsely sampled regions the
model fluxes aremore accurate. Particularweaknesses
for the models are in the shortwave radiation and
latent heat fluxes. New reanalyses are underway and
efforts are being made to improve the flux estimates;
eventually these reanalyseswill provide the best source
of flux data for many purposes.

The Regional and Seasonal Variation
of the Momentum Flux

The main features of the wind regimes over the global
oceans have long been recognized and descriptions are
available in many books on marine meteorology. The
major features of the wind stress variability derived
from ship observations from the period 1980 to 1993
are summarized here, using plots for January and July
to illustrate the seasonal variation (Figure 3).

In Northern Hemisphere winter (Figure 3A) large
wind stresses due to strong mid-latitude westerly
winds occur in the North Atlantic and the North
Pacific west of Japan. To the south, the extratropical
high-pressure zones result in low wind stress values,
and south of these is the belt of north-east tradewinds.
The very light winds of the Intertropical Convergence
Zone (ITCZ) lie close to the Equator in both oceans. In
the summertime Southern Hemisphere the south-east
trade wind belt is less pronounced. The extratropical
high-pressure regions are extensive but, despite it
being summer, high winds and significant wind stress
exist in the mid-latitude Southern Ocean. The north-
east monsoon dominates the wind patterns in the
Indian Ocean and the South China Sea (where it is

particularly strong). In the latter regions the ITCZ is a
diffuse area south of the Equatorwith relatively strong
south-east trade winds in the eastern Indian Ocean.

In Northern Hemisphere summer (Figure 3B) the
wind stresses in the mid-latitude westerlies are very
much decreased. Both the north-east and the south-
east trade wind zones are evident respectively to the
north and south of the ITCZ, which mainly lies north
of the Equator. The south-east trades are particularly
strong in the Indian Ocean and feed air across the
Equator into a very strong south-westerly monsoon
flow in the Arabian Sea. These ship data indicate very
strong winds in the Southern Ocean south-west of
Australia. Such winds are also evident in satellite
scatterometer data,which suggest that thewinds in the
Pacific sector of the SouthernOcean,while still strong,
are somewhat less than those in the Indian Ocean
sector. In contrast, the ship data appear to show light
winds. The reason is that in wintertime there are
practically no VOS observations in the far South
Pacific. The analysis technique used to fill in the data
gaps has, for want of other information, spread the
light winds of the extratropical high-pressure region
farther south than is realistic; this is a good example of
the care needed in interpreting the flux maps available
in many atlases.

The Regional and Seasonal Variation
of the Heat Fluxes

The global distribution of the mean annual net heat
flux is shown in Figure 4A. Averaged over the year, the
ocean is heated in equatorial regions and loses heat in
higher latitudes, particularly in the North Atlantic.
However, this mean distribution is somewhat mis-
leading as the plots for January (Figure 4B) and July
(Figure 4C) illustrate. The ocean loses heat over most
of the extratropical winter hemisphere and gains heat
in the extratropical summer hemisphere. It is only
because the tropical oceans are heated throughout the
year, and atmosphericmoisture from tradewind zones
converges in the ITCZ, that the tropics are so
important with regard to driving the atmospheric
circulation. The major regions of ocean cooling occur
in winter over the Gulf Stream and the Kuroshio
currents. However, in summer the long period of day-
light in these mid-latitude regions results in mean
short-wave radiation values similar to or larger than
those observed in equatorial regions. Thus the mean
monthly short-wave flux is greater than the cooling
induced by the combined latent heat and net long-
wave fluxes. At a more typical mid-latitude site the
ocean cools in winter and warms in summer, in each
case by around 100Wm�2. The annual mean flux is
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small, of order 10Wm�2, but cannot be neglected
because of the very large ocean areas involved.

Considering now the interannual variation of the
surface fluxes, the major large-scale feature over the
global ocean is the El Niño Southern Oscillation
system in the equatorial Pacific Ocean. In the eastern
equatorial Pacific the change in the net heat flux under
El Niño conditions is around 40Wm�2. For extra-
tropical and mid-latitude regions the interannual
variability of the summertime net heat flux is typically
about 20–30Wm�2, being dominated by the varia-
tions in latent heat flux. In winter the typical variabil-
ity increases to about 30– 40Wm�2, although in
particular areas (such as over the Gulf Stream)

variations of up to 100Wm�2 may occur. The major
spatial pattern of interannual variability in the North
Atlantic is known as the North Atlantic Oscillation
(NAO). This represents a measure of the degree to
which mobile depressions, or alternatively near-
stationary high-pressure systems, occur in the mid-
latitude westerly zone.

Discussion: Accuracy of Flux
Estimates and Future Trends

We have seen that, although the individual flux
components are of the order of hundreds of Wm�2,

Figure 3 Monthly vector mean wind stress (Nm�2) for (A) January and (B) July calculated from voluntary observing ship weather

reports for the period 1980 to 1993. (Adapted from Josey SA, Kent EC, and Taylor PK (1998). The Southampton Oceanography Centre

(SOC) Ocean–Atmosphere Heat, Momentum and Freshwater Flux Atlas, SOC Report No. 6.)
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the net heat flux and its interannual variability over
much of the world ocean is of the order of tens of
Wm�2. Furthermore, it can be shown that a flux of
10Wm�2 over one year would, if stored in the top
500m of the ocean, heat that entire layer by about
0.151C. Temperature changes on a decadal time scale
are atmost a few tenths of a degree, so the globalmean

budget must balance to better than a few Wm�2. For
these various reasons there is a need to measure the
flux components, which vary on many time and space
scales, to an accuracy of a few Wm�2. Given the
available data sources andmethods of determining the
fluxes described above, it is not surprising that this
accuracy at present cannot be achieved.
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Figure 4 Variation of the net heat flux over the ocean; positive values indicate heat entering the ocean: (A) annual mean; (B) January

monthlymean; (C) Julymonthlymean. (Adapted fromJoseySA,KentEC,andTaylorPK (1998).TheSouthamptonOceanographyCentre

(SOC) Ocean–Atmosphere Heat, Momentum and Freshwater Flux Atlas, SOC Report No. 6.)
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To take an example, in calculating the flux maps
shown in Figure 4 many corrections were applied to
the VOS observations in an attempt to remove biases
caused by the observing methods. For example, air
temperature measurements were corrected for the
‘heat island’ caused by the ship heating up in sunny,
low-wind conditions. The wind speeds were adjusted
depending on the anemometer heights on different
ships. Corrections were applied to sea temperatures
calculated from engine room intake data. Despite
these and other corrections, the global annual mean
flux showed about 30Wm�2 excess heating of the
ocean. Previous climatologies calculated from ship
data had shown similar biases and the fluxes had been
adjusted to remove the bias, or to make the fluxes
compatible with estimates of the meridional heat
transport in the ocean. However, comparison of the
unadjusted flux data with accurate data from air–sea
interaction buoys showed good agreement between
the two. This suggests that adjusting the fluxes
globally is not correct and that regional flux adjust-
ments are required; however, the exact form of these
corrections is presently not known.

In the future, computer models are expected to
provide a major advance in flux estimation, Recently,
coupled numerical models of the ocean and of the
atmosphere have been run for many simulated years,
duringwhich themodeled climate has not drifted. This
suggests that the air–sea fluxes calculated by the
models are in balance with the simulated oceanic and
atmospheric heat transports. However, it does not
imply that at present the flux values are realistic.
Errors in the short-wave and latent heat fluxes may
compensate one another; indeed, in a typical simula-
tion the sea surface temperature stabilized to a value
thatwas, over large regions of the ocean, a few degrees
different from that which is observed. Nevertheless,
the estimation of flux values using climate or NWP
models is a rapidly developing field and improvements
will doubtless have occurredby the time this article has
been published. There will be a continued need for in-
situ and satellite data for assimilation into the models
and for model development and verification. How-
ever, it seems very likely that in future the most

accurate routine source of air–sea flux estimates will
be from numerical models of the coupled ocean–
atmosphere system.

See also

Aerosols: Observations and Measurements; Role in Ra-
diative Transfer. Air–Sea Interaction: Freshwater Flux;
Sea Surface Temperature; Surface Waves. Boundary
Layers: Observational Techniques In Situ; Observational
Techniques–remote; Surface Layer. Buoyancy and
Buoyancy Waves: Optical Observations. Climate Var-
iability: North Atlantic and Arctic Oscillation. Coupled
Ocean–Atmosphere Models. El Niño and the South-
ernOscillation:Observation.ReflectanceandAlbedo,
Surface. Weather Prediction: Regional Prediction
Models.
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Introduction

As the controlling variable of heat, momentum, salt,
and gas fluxes between the ocean and the atmosphere,
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the sea surface temperature (SST) has always been a
topic of interest to scientists. It is also the easiest
oceanographic parameter to observe and observations
of some form of SST extend back to the time of the
early Greek scientists. In addition to its relationship to
ocean–atmosphere fluxes, the SSTalso relates directly
to a number of human concerns. For example, the
success of fisheries and fishermen can be enhanced by a
knowledge of the SSTpattern. Formany years SSTwas
measured by taking a ‘bucket sample’ of the surface
waters and then measuring its temperature. As ships
evolved to powered vessels, this practice of SST bucket
sampling had to be abandoned and the practice of
using ameasurement of the temperature of the cooling
water coming to the ship’s engines was used. This was
known as ‘ship injection temperatures’ (the SSTsensor
was ‘injected’ into the water stream), and these data
suffer from many basic problems (engine room heat-
ing, depth of the water intake, etc.). The advent of
satellite-tracked drifting buoys introduced a platform
that could measure the SST and then report it in near
real time. Thought to be less noisy and more accurate
than ship SSTs, the drifting buoy SST data became the
standard for both the calibration and validation of
satellite infrared estimates of SST.Over the years these
buoy SSTs have been used to calculate the infrared
algorithm coefficients for the computation of the SST.
The problem is that a buoy cannot measure the
temperature of the 10mm thin ‘skin of the ocean’,
which is the layer that radiates out into space. Thus,
satellite infrared measurements of SSTare of this skin
temperature and not of the deeper bulk SST measured
by the ships and buoys. It is the difference between the
skin andbulk temperature that is directly related to the
wind speed and the net air–sea heat flux. In the past the
bulk SST has been used in the computation of air–sea
heat flux terms using empirical ‘bulk’ formulas. These
continue to be used, but research efforts are underway
to transform these computations into a satellite-only
calculation. These efforts will explicitly involve skin
and bulk SST, giving a more physical basis to the
connections between heat flux and the skin and bulk
SSTs. These improvements are critical for the mode-
ling of climate change, since the SST is the boundary
that connects the model atmosphere to the model
ocean. Any incorrect specification of the global SST
patterns will lead directly to errors in the model
simulations.

History of SST Measurements and
Applications

One of the earliest uses of sea surface temperature
(SST) was when Benjamin Franklin mapped the

position of the Gulf Stream from SST measurements
made from the mail packet ships that he rode to and
from Europe. Fortunately for Franklin, the Gulf
Stream has a very sharp thermal contrast on its
western edge where the cold shelf waters coming
down from the north meet the warm Gulf Stream
waters advecting to the north east. Together with
Folger, he published a map (Figure 1) that described
the position of the Gulf Stream, advising ship captains
not to sail against this current, which was strong
enough to hold a sailing vessel still. This practical
application of SST made it possible to reduce the
crossing times for ships sailing from the Americas to
the continent.

As one of the easiest measurements in oceano-
graphy, SST became widely observed whether as a
sample taken from a pier or beach or as a bucket
sample from a ship on the open ocean. The collection
of a bucket of water whose temperature wasmeasured
as an estimate of SST became common practice among
the sailing ships carrying theworld’s commerce.When
the ships’ logs became the source of global information
on winds and currents, the SST information was also
compiled from the ships’ logs. This information was
routinely published, alongwith the currents andwinds
from the ships’ logs, as part of ‘sailing directions’ put
out first by the USNavy and later by the Coast Guard.
The same practice was introduced later in Europe and
became an operational reality for most ocean-going
vessels.

The collection of a bucket sample from sailing ships
that travel at speeds between 5 and 15 knots was easy.
For powered ships traveling alongat 20–30knots itwas
no longer possible to collect a bucket sample for SST
measurement. Instead, the temperature of the cooling
water used to cool the ship’s engines was measured as
the SST. This temperature was called the ‘injection’
temperature because the sensor was ‘injected’ into the
pipe carrying this cooling water to the heat exchangers.
One of the fundamental problems with these injection
temperatures was the location of the inlet pipe for this
cooling water, which was positioned far down on the
ship’s hull, generally collecting water from about 5m
depth – far away from the sea surface. In addition, the
heat in the engine roomwas known to heat the cooling
water and the associated thermometer, resulting in a
warm bias for the SSTs.Other sources of error were the
reading of the analog gauge, the hand recording of the
data in the ship’s log and the radio broadcast of the
‘SST’ to be included in the SST database.

Satellite SST

In spite of all these limitations, the ship SSTs were
initially used to match and adjust infrared satellite
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measurements of the SST. Later, satellite-tracked
drifting buoys were equipped with temperature ports
sticking out from the hull to measure the SST as the
buoy traveled around the ocean. Most of these buoy
SST sensors were initially calibrated to 70.11C, but
since the buoys are considered expendable there is no
post-deployment calibration and it is not known how
well the buoys retain their calibration. There are about
three different hull types used today in these buoys
with slightly different configurations of the hull SST
sensors. All of these buoys float in the active near-
surface layer and move up and down with the wave
field. As a consequence, the buoy SST represents the
temperature between the surface and 1–2m depth.
The best estimate of the accuracy of these data can be
made by considering the mean difference and varia-
bility of the difference between contemporary SST
measurements. This value is 0.41C,which can be taken
as an overall error limit for buoy-measured bulk SST.

It is important to realize that past practice has been
to compute the satellite infrared SST algorithm coef-

ficients from regression with nearly coincident buoy
SST data. In this approach one not only assumes that
the satellite and buoys measure the same SST, but also
that the buoy SSTs have no errors themselves. That is
not to say that people assume the buoy SSTs have no
error, but the practice of using them to find the
algorithm coefficients through linear regression im-
plies that the buoy SSTs are error-free. It appears that
the source of this conflict is the fact the satellite
infrared systems and their calibration systems do not
retain their calibrations over long periods of time and
that regression to in situ SST is required to overcome
these drifts. Since buoy SSTs are the best of the present
in situ SSTs, they are used to supply the in situ SST
observations in spite of the fact that they do not and
cannot measure the skin SST, as any direct physical
contact with the skin layer will temporarily disrupt it.
Observations of the effects of breaking waves on the
presence of the skin layer have shown that while a
breaking wave does indeed destroy the skin layer, the
skin forms again after just a few seconds. So, in spite of

Figure 1 The Poupard version of the Franklin–Folger Gulf Stream chart published in Philadelphia in 1786 with Franklin’s ‘Maritime

Observations’.
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strongwinds and breakingwaves, the skin SST layer is
present most of the time andmust be considered in the
remote sensing of SST. Before various groups and
agencies will transform their computations to skin
SST, there must be a source of in situ skin SST to
replace the buoy SSTs that are used at present. We will
discuss this point further later in this article.

SST Climatology

Oneof the benefits of being relatively easy to observe is
the abundance of data that exists both geographically
and over time. This excellent data coverage makes it
possible to compute a climatology of SST conditions,
which is a long-term average map of SST conditions
usually over the 12 month period of an annual cycle.
Many different climatologies have been computed for
SST, starting with strictly ship measurements before
about 1970 and a mix of satellite, ship, and buoy SSTs
since that time. One must always be careful to
determine exactly which periods are covered by such
a climatology and what data went in to the compu-
tation of the climatology.

For this article we will use a climatology that
includes satellite infrared, buoy, and ship SST data. As
part of this analysis, satellite SSTs were filtered to

eliminate obvious outliers. The input buoy and ship
SST data sets were also filtered to remove large errors.
All three of these input data setswere to save space.We
only present four images to represent the 12 month
annual cycle. The first is a global map of SST for the
month of January (Figure 2), which represents SST
conditions for the Northern Hemisphere winter.

In this map a number of basic features are readily
obvious. The warmest temperatures are in the tropics,
particularly in the Pacific and Indian Oceans. The
warmest temperatures are found in the ‘warm pool’ of
the western tropical Pacific. There are cold features
along the west coasts of South America and South
Africa, which correspond to upwelling events most
active in the austral summer. Cold temperatures
extend a bit farther north in the Southern Ocean
than they do in the Northern Hemisphere, which is
primarily a consequence of the open character of the
Southern Ocean compared with the geographically
restricted waters of the Arctic.

The representative Northern Hemisphere spring
SST map in Figure 3 shows a modest shift in this
temperature distribution. The warmest temperatures
have increased, particularly in the equatorial Indian
Ocean, which has increased from about 281C to about
301C. The Western Pacific Warm Pool has expanded
slightly and increased in temperature. There is now a
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distinct band of warm temperatures in the equatorial
Pacific. The upwelling zones off south–western South
America and South Africa have decreased in size. The
colder SSTs have remained largely the same.

Turning to the Northern Hemisphere summer, we
look at the July SST climatology in Figure 4. In this
case the maximum temperatures in the tropics have
actually reduced slightly, reflecting the decrease in
solar insolation on a global level. The warm band in
the tropical Atlantic has weakened, as has the equa-
torial warm band in the tropical Indian Ocean. Even
the warm pool in the western tropical Pacific has
weakened in both magnitude and areal coverage. The
upwelling zones off western South America and
western South Africa have again expanded, and both
show warm tongues that extend westward out from
the northernmost extent of the colder upwellingwater.
There is a corresponding cold upwelling region off
North America consistent with the seasonal shift to
northerly upwelling winds off that coast. The same is
true off north–west Africa.

To complete the cycle we look at the Northern
Hemisphere fall (October)map inFigure 5. In thismap
all of the west coast upwelling regions have weakened
slightly. In particular, the north–west Africa upwelling
region has disappeared. In the Southern Hemisphere
the upwelling regions appear to have stretched farther

to the west. The equatorial warm regions have
weakened in magnitude, while they are about the
same in geographic coverage as they were in July. The
colder waters have not changed much since the last
season (summer).

All of these maps have used a mixture of satellite
infraredmeasurements, drifting andmoored buoy SST
measurements, and ship SST measurements. In this
application the satellite skin SST is adjusted to match
coincident drifting buoy SSTs, as introduced earlier.
Thus, these maps really represent a ‘pseudo bulk SST’
due to the overwhelming number of infrared SST
observations as compared to the in situ buoy and ship
observations. Still, the general seasonal pattern of the
SST is clearly apparent, and it is not likely that an
adjustment to skin SSTwould show any substantially
different SST patterns. SST patterns computed from
various satellite SSTalgorithms all look very similar; it
is the absolute temperature value that is different and
the skin SST must be considered when addressing
questions such as air–sea heat and gas exchange.

Skin SST

Due to its very high emissivity, the ocean is consi-
dered to very nearly approximate a ‘blackbody’. This
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long-wave heat emission is directly proportional to the
skin SST, which is the only SST that interacts with the
overlying atmosphere. Having a thickness of between
5 and 10 mm, the skin of the ocean can easily be
destroyed by breaking ocean waves. When this hap-
pens the skin reforms within 3–6 s, which means that
the skin of the ocean is most generally present. This
skin layer is the molecular boundary between the
turbulent atmosphere and the turbulent ocean. It is
this skin layer that transfers heat, gases, and momen-
tum between the atmosphere and the ocean. The
temperature of this ultra–thin layer can only be
measured radiometrically, since any contact with the
skin layer will disturb it. Thus, this layer cannot be
measured directly by drifting or moored buoys or by
any ship. Equipped with infrared radiometers, ships
could measure this skin layer temperature radiomet-
rically without the attenuating atmosphere in between
the ship radiometer and the sea surface. Such meas-
urements could provide validation and possibly cali-
bration information for satellite-based infrared
radiometric measurements of skin SST.

An important question is: ‘What is the precise
definition of bulk SST’? Drifting buoys measure a
temperature somewhere between 0.5 and 1.5m below
the sea surface. This is a result of the buoy’s interaction
with the waves at the sea surface. As described earlier,
ship cooling water intake ports may be located
anywhere from 2 to 5m beneath the waterline. So is
the bulk SST located at 2–5m beneath the surface? If
we consider the temperature profile in the shallow
upper layer of the ocean (Figure 6), we can see that the
skin SST is always slightly colder than the temperature
just below it.Note the logarithmic abscissa in this plot.
At night this temperature slightly below the cooling
skin layer is isothermal down to a few meters. In this
case the bulk temperature could bemeasured at any of
the depths down to5m.During the day, however, solar
insolation can heat up a shallow layer sufficiently so
that the temperature of the ‘cool skin’ is a little higher
than the isothermal layer below the warm diurnal
layer. Often referred to as ‘warm skin SST’, this
condition can only exist during daytime under rela-
tively clear sky conditions when the shallow surface
layer is heating.

The relationship between the skin and the bulk
temperatures depends on two forcing factors: thewind
and the net air–sea heat flux. A good example of this is
shown in Figure 7, which is taken from two different
oceanographic research cruises. Here we have plotted
the difference between the skin SST and the bulk
temperature (taken as a temperature between 2 and
5m) as a function of wind speed and net air–sea heat
flux. The wind speed was observed from the research
vessel while the net air–sea heat flux was calculated

from the traditional bulk formulas using routine
meteorological measurements also made from the
ship. At the top is a series from a cruise on the FS
Meteor in the North Atlantic. Here, interestingly
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enough, the DT between the skin SST and the bulk
temperature both rises and falls with increasing wind
speed. At low heat flux levels DT decreases as wind
speed increases. This is consistent with traditional
wisdom that increasedmixing due towind stirringwill
homogenize the upper layer, eventually making skin
and bulk temperatures the same. At higher heat flux
values, however, DT actually increases as the wind
speed increases. In the lower figure a data set was
collected from the tropical Pacific. A much more
limited change in DT is found for this tropical sample,
but there is still a decrease inDT with increasingwind.

These effects can be modeled with a semiempirical
formula that includes the effects of wind and net heat
flux on the DT difference between skin SST and bulk
temperature:

DT ¼ QN

rwcpk1=2
Cshear

nZ0

un3

� �1=2
(

þ Cconv
nrwcp
agQN

� �1=2
"

� Cshear
nZ0

un3

� �1=2
#
e� Rfcr=Rf0

)1=2

½1�

In eqn [1],QN is the net heat flux, rw is the density of
water, cp is the specific heat capacity of sea water at a
constant pressure, k is the thermal diffusivity of water,
Cshear is the proportionality constant for shear-driven
time scale, Cconv is the proportionality constant
for convective driven time scale, n is the kinematic
viscosity, z0 is the momentum roughness length, un is
the friction velocity of water, g is the acceleration due
to gravity, a is the thermal expansion coefficient,Rf0 is
the surface Richardson number, and Rfcr is the critical
Richardson number.

This equation connects the skin SST with the
temperature just below it, but does not account for
the further transfer of heat downward or upward
within the water column. To do this a ‘mixed-layer’
model must be added to the skin–bulk parametriza-
tion. Such a model has been employed to show the
development of the full upper layer temperature
profile. Using this model combination it was possible
to trace the temperature history of the upper layer for a
couple of consecutive days of field measurements.
There is excellent agreement between the observed
bulk–skin ðDTÞ temperature difference observed and
thatmodeled using thewind speed andnet air–sea heat
flux. Thus, it appears that this combination of models
can go a long way to simulating the temperature
behavior of the upper layer of the ocean. It should be
noted that these models do not account for surface
wave effects, or the effects of turbidity and foamon the

sea surface. It is likely that these effects are smaller in
magnitude than those driven by the wind and net heat
flux.Muchmore sophisticatedmodels will be required
to include these phenomena in modeling DT.

In situ Measurement of Skin SST

Since infrared satellite sensors are only able tomeasure
radiation from the skin of the ocean, the challenge is to
provide in situmeasurements of the skin SST that can
be used to calibrate/validate the satellite radiances in
terms of temperature. As mentioned earlier, ships can
be equipped with radiometers to measure directly the
skin SST without the atmosphere attenuating the
infrared signal. In principle these same radiometers
could be installed on moored buoys to continuously
measure skin SST. The problem with both of these
installations is that the radiometer optics must be
protected from sea spray, which is difficult to do in an
autonomous installation. At least on the ship the
radiometer can be examined each day and cleaned off
to maintain a clear optical path.

Another requirement of these radiometers is that
they are verywell calibrated. The best approach to this

Figure 8 Radiometer requirements.
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requirement is to equip the radiometers with two
blackbodies with one at ambient temperature and the
other heated a few degrees above ambient. To correct
for reflected infrared sky radiation, these radiometers
must look up and down to view the sky, the ocean, and
both blackbodies each scan. The easiest way to
implement these requirements is to use a rotating
mirror to channel the radiation to the detector, as seen
in Figure 8. In this setup the sensor is a low–cost
thermal infrared ‘thermometer’ with a supplemental
rotating mirror to collect radiation from the sky
through the top hole, the sea surface through the
bottom hole, and both of the blackbodies. In this case
no special efforts have been taken to protect themirror
from sea spray. The addition of a cover that would
move into place in cases of high seas and/or rainfall has
been considered. Other protection schemes use a
moving plastic wrap ‘window’ that would carry the
sea spray or rainfall away from the radiometer view.
One suggestion was to use ‘windshield wipers’ from
automobile headlights. It will be a challenge to see
which of these methods is successful in protecting the
radiometer from sea spray and rainfall.

It is difficult to predict just how many ships need to
be operating to provide the global coverage needed to
regularly calibrate and validate the satellite radio-

meters. It is clear that the need for continuing sampling
means that the ships must be merchant ships traveling
long routes on a regular basis. A plot of the present
ship coverage for a year (Figure 9) reveals that there
are plenty of ships to choose from in the Northern
Hemisphere, but in the Southern Hemisphere the
available selection is much more restrictive. Ship
tracks that make the long transits to Australia and
New Zealand are good candidates, as are those routes
from Asia to southern Chile. Only experience will
reveal just how many ships over which routes will be
required to supply the in situ skin SSTs needed to
calibrate/validate the satellite infrared radiances.

Summary and Conclusions

SST is andhas been one of themostmeasured variables
in the ocean, and as such it has receivedmuch scientific
attention. Using a combination of ship SSTs, moored
and drifting buoy SSTs, and satellite infrared SSTs, we
have characterized the global and seasonal patterns of
SST. Realizing that the satellite infrared SSTs can only
represent the SST of the 10 mm thick skin layer of the
ocean, future efforts should be aimed at separating the
satellite skin SSTs from the 1–5m deep bulk SST
measured by the buoys and ships. The skin layer is

Stddev =        8.45275
Mean =          18.7291 
Num points = 1132447

Figure 9 Global merchant ship routes for 1996.
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simply the molecular layer that interfaces between a
turbulent ocean and a turbulent atmosphere. The
temperature difference between the skin and the bulk
temperatures is directly related to the wind speed and
net air–sea heat flux. Thus, an improved understand-
ing of this relationship can help us to better resolve the
net heat andmomentum fluxes between the ocean and
the atmosphere. In part, this understanding and the
shift to the computation of skin SST from the satellite
infrared data depends on the creation of a network of
ship-of-opportunity based skin SST radiometers col-
lecting global and continuous samples of skin SST
‘ground truth’ data (i.e., without an intervening
atmosphere).

See also

Air–Sea Interaction: Freshwater Flux; Gas Exchange;
Momentum, Heat and Vapor Fluxes; Storm Surges; Sur-
face Waves. Global Change: Surface Temperature
Trends. Observation Platforms: Buoys. Observations
for Chemistry (Remote Sensing): IR/FIR. Satellite
Remote Sensing: Temperature Soundings.
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Storm Surges
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Introduction and Definitions

Storm surges are changes in water level generated by
atmospheric forcing, specifically by the drag of the
wind on the sea surface and by variations in the surface
atmospheric pressure associated with storms. Storm
surges last for periods ranging from a few hours to
2 or 3 days and have spatial scales that are large com-
pared with the water depth. They can raise or lower
the water level in extreme cases by several meters;
a raising of level is a positive surge, a lowering a
negative one. Storm surges are superimposed on
the normal astronomical tides generated by variations
in the gravitational attraction of the Moon and
Sun. The storm surge component can be derived

from a time series of sea levels recorded by a tide gauge
using

surge residual ¼ ðobserved sea levelÞ
� ðpredicted tide levelÞ ½1�

producing a time series of surge elevations. Figure 1
shows an example.

Sometimes, the term ‘storm surge’ is used for the sea
level (including the tidal component) during a storm
event. It is important to be clear about the usage of the
term and its significance to avoid confusion. Storms
also generate surface wind waves that have periods of
order seconds and wavelengths, away from the coast,
comparable to or less than the water depth.

Positive storm surges combined with high tides and
wind waves can cause coastal floods which in terms of
the loss of life and damage are probably the most
destructive natural hazards of geophysical origin.
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Where the tidal range is large, the timing of the surge
relative to highwater is critical and a large surge at low
tide may go unnoticed. Negative surges reduce water
depth and can be a threat to navigation. Associated
storm surge currents, superimposedon tidal andwave-
generated flows, can also contribute to extremes of
current and bed stress responsible for coastal erosion.
A proper understanding of storm surges, the ability to
predict them, and measures to mitigate their destruc-
tive effects are therefore of vital concern.

Storm Surge Equations

Most storm surge theory and modeling is based on
depth-averaged hydrodynamic equations applicable
to both tides and storm surges and including nonlinear
terms responsible for their interaction. Bode and
Hardy (1997) provides a more complete account. In
vector form, these can be written

qz
qt

þr � ðDqÞ ¼ 0 ½2�
qq
qt

þ q � rq� fk�q ¼� grðz� �zzÞ � 1

r
rpa

þ 1

rD
ðss � sbÞ þ Ar2q ½3�

where t is time, z the sea surface elevation, �zz the
equilibrium tide,q the depth-mean current, ss thewind
stress on the sea surface, sb the bottom stress, pa the
atmospheric pressure on the sea surface, D the total
water depth (D ¼ hþ z, where h is the undisturbed
depth), r the density of sea water, assumed uniform, g

the acceleration due to gravity, f the Coriolis para-
meter (¼ 2o sin j, where o is the angular speed of
rotation of the Earth and j is the latitude), k a unit
vector in the vertical, and A the coefficient of
horizontal diffusion. Equation [2] is the continuity
equation expressing conservation of volume. Equa-
tion [3] equates the accelerations (left-hand side) to the
force per unit mass (right-hand side).

In this formulation, bottom stress, tb is related to the
current, q, using a quadratic law

sb ¼ krq jqj ½4�
where k is a friction parameter. Similarly, the wind
stress, ts is related toW, thewind velocity at a height of
10m above the surface, also using a quadratic law

ss ¼ cDra W jWj ½5�
where ra is the density of air and cD a drag coefficient.
Measurements in the atmospheric boundary
layer suggest that cD increases with wind speed,
W, accounting for changes in surface roughness
associated with wind waves. A typical form, due to
J. Wu, is

103cD ¼ 0:8þ 0:065W ½6�
Alternatively, from dimensional analysis, H. Char-
nock obtained gz0=u

2
n
¼ a, where z0 is the aerody-

namic roughness length associated with the surface
wave field, un is the friction velocity ðu2

n
¼ ss=raÞ, and

a is the Charnock constant. So, the roughness varies
linearly with surface wind stress. Assuming a loga-
rithmic variation of wind speed with height z above
the surface, WðzÞ ¼ ðun=kÞ ln ðz=z0Þ, where k is
von Karman’s constant. It follows that for z ¼ 10m

cD ¼ ½ð1=kÞ ln fgz=ðacDW2Þg��2 ½7�
Estimates of a range from 0.012 to 0.035.

Generation and Dynamics of Storm
Surges

The forcing terms in eqn [3] which give rise to storm
surges are those representing wind stress and the
horizontal gradient of surface atmospheric pressure.
Very simple solutions describe the basic mechanisms.
The sea responds to atmospheric pressure variations
by adjusting sea level such that, at depth, pressure in
the water is uniform, the hydrostatic approximation.
Assuming in [3] that q ¼ 0 and ts ¼ 0, then grzþ
ð1=rÞrpa ¼ 0, so rgzþ pa ¼ constant. This gives the
‘inverse barometer effect’, whereby a decrease in
atmospheric pressure of 1 hPa produces an increase
in sea level of approximately 1 cm. Wind stress
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produces water level variations on the scale of the
storm. Equations [5] and [6] imply that the strongest
winds are most important, since effectively ss / W3.
Both pressure and wind effects are present in all storm
surges, but their relative importance varies with
location. Since wind stress is divided by D, whereas
rpa is not, it follows that wind forcing increases in
importance in shallower water. Consequently, pres-
sure forcing dominates in the deep ocean whereas
wind forcing dominates in shallow coastal seas.Major
destructive storm surges occur when extreme storm
winds act over extensive areas of shallow water.

As well as the obvious wind setup, with wind stress
towards the coast balanced by a surface elevation
gradient, longshore winds can also generate surges at
higher latitudes. Wind stress parallel to the coast with
the coast on its right will drive a longshore current,
limited by bottom friction. Geostrophic balance gives
(in the northern hemisphere) a surface gradient raising
levels at the coast (see e.g. Pugh 1987).

Amplification of surges may be caused by the funnel-
ing effect of a converging coastline or estuary and by a
resonant response; e.g. if the wind forcing travels at the
same velocity as the stormwave, or matches the natural
period of oscillation of a gulf producing a seiche.

As a stormmoves away, surges generated in one area
may propagate as free waves, contributing as exter-
nally generated components to surges in another area.
Generally, away from the forcing center, the response
of the ocean consists of longshore-propagating coast-
ally trapped waves. Examples include external surges
in the North Sea (see Figure 2), which are generated
west and north of Scotland and propagate anti-
clockwise round the basin like the diurnal tide,
approximately as a Kelvin wave. Low-mode conti-
nental shelf waves have been identified in surges on the
west coast of Norway, in the Middle Atlantic Bight of
the US, in the East China Sea, and on the North West
Shelf of Australia. Currents associated with low-mode
continental shelf waves generated by a tropical
cyclone crossing the North West Shelf of Australia
have been observed and explained by numerical
modeling. Edge waves can also be generated by
cyclones travelling parallel to the coast in the opposite
direction to shelf waves.

From eqns [3] and [4], bottom stress, which dissi-
pates surges, also depends on water depth and is
nonlinear; the current includes contributions from tide
and surge, q ¼ qT þ qS. Consequently, dissipation of
surges is stronger in shallow water and where tidal
currents are also strong. In deeper water and where
tides are weak, free motions can persist for long times
or propagate long distances. For example, the Adriatic
has relatively small tides, and seiches excited by storms
can persist for many days.

In areas with substantial tides and shallow water,
nonlinear dynamical processes are important, result-
ing in interactions between the tide and storm surge
such that both components are modified. The main
contribution arises from bottom stress, but time-
dependent water depth, D ¼ hþ zðtÞ, can also be
significant (e.g. ss=ðrDÞ will be smaller at high tide
than at low tide). An important consequence is that the
linear superposition of surge and tide, without ac-
counting for their interaction, gives substantial errors
in estimating water level. For example, for surges
propagating southwards in the North Sea into the
Thames Estuary, surge maxima tend to occur on the
rising tide rather than at high water (Figure 3).

Interactions also occur between the tide–surge
motion and surface wind waves (see below).

Areas Affected by Storm Surges

Major storm surges are created by midlatitude storms
and by tropical cyclones (also called hurricanes and
typhoons), which generally occur in geographically
separated areas and differ in their scale. Midlatitude
storms are relatively large and evolve slowly enough to
allow accurate predictions of their wind and pressure
fields from atmospheric forecast models. In tropical
cyclones, the strongest winds occur within a few tens
of kilometers of the storm center and so are poorly
resolved by routine weather prediction models. Their
evolution is also rapid and much more difficult to
predict. Consequently, prediction and mitigation of
the effects of storm surges is further advanced for
midlatitude storms than for tropical cyclones.

Tropical cyclones derive energy from the warm
surfacewaters of the ocean anddeveloponlywhere the
sea surface temperature (SST) exceeds 26.51C. Since
they require a local vertical component of the Earth’s
rotation, they do not develop within 51 of the equator.
Figure 4 shows themain cyclone tracks. Areas affected
include: the continental shelf surrounding the Gulf of
Mexico andon the east coast of theUS (by hurricanes);
much of East Asia including Vietnam, China, the
Philippines, and Japan (by typhoons); the Bay of
Bengal, in particular its shallow north-eastern corner,
and northern coasts of Australia (by tropical cy-
clones). Areas affected by midlatitude storms include
the North Sea, the Adriatic, and the Patagonian Shelf.
Inland seas and large lakes, including the Great Lakes,
Lake Okeechobee (Florida), and Lake Biwa (Japan),
also experience surges.

The greatest loss of life due to storm surges has
occurred in the northern Bay of Bengal and Meghna
Estuary of Bangladesh (Murty et al. 1986). Awide and
shallow continental shelf bounded by extensive areas
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of low-lying poorly protected land is impacted by
tropical cyclones. Cyclone-generated storm surges
on 12–13 November 1970 and 29–30 April 1991
(Figure 5) killed approximately 250 000 and 140 000
people in Bangladesh.

A severe storm in the North Sea on 31 January–1
February 1953 generated a large storm surge, which
coincided with a spring tide to cause catastrophic
floods in the Netherlands (Figure 6) and South-East
England killing approximately 2000 people. Subse-
quent government inquiries resulted in the ‘Delta Plan’
to improve coastal defenses in Holland, led to the
setting up of coastal flood warning authorities, and
accelerated research into storm surge dynamics.

The city of Venice, in Italy, suffers frequent ‘acqua
alta’ which flood the city, disrupting its life and
accelerating the disintegration of the unique historic
buildings.

In 1969 Hurricane Camille created a surge in the
Gulf of Mexico which rose to 7m above mean sea
level, causing more than 100 deaths and about 1
billion dollars’ worth of damage. An earlier cyclone in
the region, in 1900, flooded the island of Galveston,
Texas, with the loss of 6000 lives.

Storm Surge Prediction

Early research on storm surges was based on analysis
of observations and solution of simplified, usually
linearized, equations for surges in idealized channels,
rectangular gulfs and basins with uniform depth. The
first self-recording tide gauge was installed at Sheer-
ness in 1832 in the Thames Estuary, England, so data
sets for analysis were available from an early stage.
Interest was stimulated by events such as the 1953
storm surge in the North Sea, which highlighted the
need for forecasts. Much of this is summarized in
Heaps (1967).

First prediction methods were based on empirical
formulae derived by correlating storm surge elevation
with atmospheric pressure, wind speed, and direction
and, where appropriate, observed storm surges from a
location ‘upstream’. Long time series of observations
are required to establish reliable correlations. Where
such observations existed, e.g. in the North Sea, the
methods were quite successful.

From the 1960s, developments in computing and
numerical techniques made it possible to simulate and
predict storm surges by solving discrete approximations
to the governing equations (eqns [1] and [2]). The
earliest and simplest methods, pioneered in Europe by
W. Hansen and N. S. Heaps and in the USA by R. O.
Reid and C. P. Jelesnianski, used a time-stepping
approach based on finite difference approximations on
a regular grid. Surge–tide interaction could be account-
ed for by solving the nonlinear equations and including
tide. Effects of inundation could also be included by
allowing formoving boundaries; water levels computed
withafixedcoast canbeon theorderof10%higher than
those with flooding of the land allowed.

Bode and Hardy (1997) review recent develop-
ments,which have revolutionized surgemodeling, and
prediction. Among these, coordinate transformations,
curvilinear coordinates and grid nesting allow better
fitting of coastal boundaries and enhanced resolution
in critical areas. A simple example is the use of polar
coordinates in the SLOSH model focusing on vulner-
able sections of the US east coast. Finite element
methodswith even greater flexibility in resolution (e.g.
Figure 7) have also been used in surge computations in
recent years.

There has also been increasing use of three-dimen-
sional (3D) models in storm surge studies. Their main
advantage is that they provide information on the
vertical structure of currents and, in particular, allow
the bottom stress to be related to flow near the seabed.
This means that in a 3D formulation the bottom stress
need not oppose the direction of the depth mean flow
and hence of the water transport. Higher surge
estimates result in some cases.

Lerwick

20%

20%

20%

20%

+ve
surges

−ve
surges

Southend

−5 −4 −3 −2 −1 HT 1 2 3 4 5 6

Phase of tide, in hours after HT

Figure 3 Frequency distribution relative to the time of tidal high

water (HT) of positive and negative surges at Lerwick (northern

North Sea) and Southend (Thames Estuary). The phase distribu-

tion at Lerwick is random, whereas owing to tide–surge interaction

most surge peaks at Southend occur on the rising tide. (Replotted

from Prandle P andWolf J (1978) The interaction of surge and tide

in the North Sea and River Thames. Geophysical Journal of the

Royal Astronomical Society 55: 203–216, by permission of

Blackwell Science Ltd.)
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In the last decades many countries have established
and now operate model-based flood warning systems.
Flather (2000) provides an overview of operational
models and flood warning systems in northern and
western Europe. Although finite element methods and
3D models have been developed and are used exten-
sively for research, most operational models are still
basedondepth-averagedfinite-difference formulations.

A key requirement for accurate surge forecasts is
accurate specification of the surface wind stress.
Surface wind and pressure fields from numerical
weather prediction (NWP) models are generally used
for midlatitude storms. Even here, resolution of small
atmospheric features can be important, so preferably
NWP data at a resolution comparable with those of
the surge model should be used. For tropical cyclones,
the position of maximum winds at landfall is critical,
but prediction of track and evolution (change in
intensity etc.) is problematic. Presently, simple models
are often used based on basic parameters: pc, the
central pressure; Wm, the maximum sustained 10m
wind speed; R the radius to maximum winds; and the
velocity, V, of movement of the cyclone’s eye. Assum-
ing a pressure profile, e.g. that due to G. J. Holland,

paðrÞ ¼ pc þ Dp exp ½�ðR=rÞB� ½8�

where r is radial distance from the cyclone center, Dp
the pressure deficit (difference between the ambient
and central pressures), and B is a ‘peakedness’ factor
typically 1:0oBo2:5, wind fields can then be esti-
mated using further assumptions and approximations.
First, the gradient or cyclostrophic wind can be cal-
culated as a function of r. An empirical factor ð� 0:8Þ
reduces this toW, the 10 mwind. A contribution from
the motion of the storm (maybe 50% of V) can be
added, introducing asymmetry to the wind field, and
finally to account for frictional effects in the atmos-
pheric boundary layer, wind vectors may be turned
inwards by a cross-isobar angle of 10–251. Such
procedures are rather crude, so that cyclone surges
computed using the resulting winds are unlikely to be
very accurate. Simple vertically integrated models of
the atmospheric boundary layer have been used to
compute winds from a pressure distribution such as
eqn [8], providing a more consistent approach. In
reality, cyclones interactwith the ocean.They generate
wind waves, which modify the sea surface roughness,
z0, and hence the wind stress generating the surge.
Wind- and wave-generated turbulence mixes the
surface water, changing its temperature, and so mod-
ifying the flux of heat from which the cyclone derives
its energy. Progress requires improved understanding

Figure 4 Tropical cyclone tracks. (From Murty (1984), reproduced with permission of the Minister of Public Works and Government

Services Canada, 2002.)
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of air–sea exchanges at extremewind speeds and high-
resolution coupled atmosphere–ocean models.

Interactions with Wind Waves

As mentioned above, observations suggested that
Charnock’s awas not constant but depended onwater

depth and ‘wave age’, a measure of the state of
development of waves. Young waves are steeper and
propagate more slowly, relative to wind speed, than
fully developed waves, and so are aerodynamically
rougher, enhancing the surface stress. These effects can
be incorporated in a drag coefficient which is a
function of wave age, wave height and water depth
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Figure 5 Cyclone tracks (dashed lines) and maximum computed surge elevation in the northern Bay of Bengal during the cyclones of

1970 and 1991 fromnumericalmodel simulations. (Replotted fromFlather (1994) by permission of theAmericanMeteorological Society.)

Figure 6 Breached dyke in the Netherlands after the 1953 North Sea storm surge. (Reproduced by permission of RIKZ, Ministry of

Public Works, The Netherlands.)
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and agrees well with published data sets over the whole
range of wave ages. Further research, considering the
effects ofwavesonairflow in the atmospheric boundary
layer, led P. A. E.M. Janssen to propose awave-induced
stress enhancing the effective roughness. Application of
this theory requires the dynamic coupling of surge and
wave models such that friction velocity and roughness
determine and are determined by the waves. Masten-
broek et al. (1993) obtained improved agreement with
observed surges on the Dutch coast by including the
wave-induced stress in a model experiment (Figure 8).
However, they also found that the same improvement
could also be obtained by a small increase in the
standard drag coefficient.

In shallow water, wave orbital velocities also reach
the seabed. The bottom stress acting on surge and tide
is therefore affected by turbulence introduced at the
seabed in the wave boundary layer. With simplifying
assumptions, models describing these effects have
been developed and can be used in storm surge
modeling. Experiments using both 2D and 3D
surge models have been carried out. 3D modeling of
surges in the Irish Sea using representative waves

shows significant effects on surge peaks and improved
agreement with observations. Bed stresses are much
enhanced in shallow water. Because the processes
depend on the nature of the bed, a more complete
treatment should take account of details of bed types.

Nonlinear interactions give rise to a wave-induced
mean flow and a change in mean water depth (wave
setup and setdown). The former has contributions
from a mean momentum density produced by a non-
zero mean flow in the surface layer (above the trough
level of thewaves), and fromwavebreaking. Setup and
setdown arise from the ‘radiation stress’, which is
defined as the excessmomentumflux due to thewaves.
Mastenbroek et al. (1993) showed that the radiation
stress has a relatively small influence on the calculated
water levels in the North Sea but cannot be neglected
in all cases. It is important where depth-induced
changes in the waves, such as shoaling or breaking,
dominate over propagation and generation, i.e. in
coastal areas. The effects should be included in the
momentum equations of the surge model.

Although ultimately coupled models with a consist-
ent treatment of exchanges between atmosphere and
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Figure7 Afiniteelementgrid for stormsurgecalculationson theeast coastof theUS, theGulf ofMexico, and theCaribbean. (FromBlain

CA,Westerink JJ and Leuttich RL (1994) The influence of domain size on the response characteristics of a hurricane storm surgemodel.

Journal of Geophysical Research, 99, C9, 18467–18479. Copyright 1994 American Geophysical Union. Reproduced by permission of
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ocean and at the seabed remain a goal, it appears that
with the present state of understanding the benefits
may be small compared with other inherent uncer-
tainties. In particular, accurate definition of the wind
field itself and details of bed types (rippled or smooth
etc.) are not readily available.

Data Assimilation

Data assimilation plays an increasing role, making
optimum use of real-time observations to improve the
accuracy of initial data in forecast models. Bode and
Hardy (1997) review two approaches, involving
solution of adjoint equations and Kalman filtering.
The Dutch operational system has used Kalman
filtering since 1992, incorporating real-time tide gauge
data from the east coast of Britain. Accuracy of
predictions (Figure 9) is improved for the first 10–12
hours of the forecast.

Related Issues

Extremes

Statistical analysis of storm surges to derive estimates
of extremes is important for the design of coastal

defenses and the safety of offshore structures. This
requires long time series of surge elevation derived
from observations of sea level where available or,
increasingly, from model hindcasts covering a period
of the order of 50 years forced by meteorological
analyses.
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Climate Changes Effects

Climate change will result in a rise in sea level and
possible changes in storm tracks, storm intensity and
frequency, collectively referred to as ‘storminess’.
Changes in water depth with rising mean sea level
(MSL) will modify the dynamics of tides and surges,
increasing wavelengths and modifying the generation,
propagation, and dissipation of storm surges. Increased
water depth implies a small reduction in the effective
wind stress forcing, suggesting smaller surges.However,
effects of increased storminess may offset this. It has
been suggested, for example, that increased tempera-
tures in some regions could raise sea surface tempera-
tures, resulting in more intense and more frequent
tropical cyclones. Regions susceptible to tropical cy-
clones could alsobe extended.Research is in progress to
assess and quantify some of these effects, e.g. with tide-
surgemodels forcedbyoutputs fromclimateGCMs.An
important issue is that ofdistinguishing climate-induced
change from the natural interannual and interdecadal
variability in storminess and hence surge extremes.

See also

Cyclones, Extra Tropical. Lake Effect Storms. Se-
vere Storms. Weather Prediction: Severe Weather
Forecasting.
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Introduction

The total area of the world ocean surface, including
inner seas, is 361� 103 km2, or 70.8% of the area of
the Earth’s surface. Most motions of the ocean water
(apart from the tides, currents near estuaries, and the
infrequent motions of water masses produced by
tectonic or volcanic activity on the ocean floor) are the
result of atmospheric impacts. In fact, theworld ocean
surface is permanently covered by surface waves
associated with local wind conditions, and this affects
all air–sea interaction processes. The thermal state of
the ocean and the sea water stratification depend
significantly on atmospheric influences. In particular,
these influences are responsible for the strong hydro-
static stability of the ocean, and heating and cooling

the ocean’s upper layer. The controlling influence
of oceans, particularly in forming weather, is turbu-
lence in the atmospheric and oceanic boundary
layers and microinteraction of water and air flow in
vicinity of their interface. The main manifestations of
the air–sea interaction in the atmosphere are the long-
term variability of weather and the formation of
climate.

Windwaves relate directly to interactions at the air–
water interface that affect turbulent regimes in the
atmospheric surface layer and the ocean’s upper layer
and finally result in exchange ofmomentum, heat, and
moisture. The character of this transport is regulated
by the turbulence of the air–sea interface. These
influences are very complex and still poorly under-
stood, although there have been numerous experi-
mental investigations and analytical studies. There are
not sufficient observational data to specify completely
the quantitative impact of surface waves on the
characteristics of air–sea boundary layers. One of
themajor difficulties in air–sea interaction problems is
the correct description of surface wave effects. Here,
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the distinctive feature is the oscillationof the air–water
interface, so that the standard methods of description
of turbulence are generally inapplicable.

Surface waves are the most visible manifestation of
time-dependent ocean dynamics and have been of
interest for as long asman has been involved in fishing,
navigation, and trade. Surface waves are important
components of the air–sea system. Part of the energy
andmomentum is transferred directly from the atmos-
phere to drift currents, while another part goes into
growing surface waves. Surface waves are the ocean’s
response to wind and pressure changes at the air–sea
interface. Surface waves include capillary waves,
which undulate within a fraction of a second over a
distance less than a centimeter, and planetary waves
with periods of years and wavelengths of thousands of
kilometers. For air–sea interaction surface waves are
more important and we will focus on wind-generated
waves at the air–sea interface. These waves determine
the small-scale configuration of the air–sea interface
and that affects the turbulent transfer. These waves
depend on the state of the upper layers of the ocean.

Surface waves have been actively studied mathe-
matically and physically. Although waves have been
studied for a long time, existing theories have been
able to predict ocean waves with acceptable accuracy
only relatively recently. Complicated nonlinear inter-
actions between wind, waves, current, and turbulence
make both theoretical and observational studies more
difficult. Surface waves have relatively short periods,
mostly within the range of 1–30 s. The surface waves
that determine sea conditions in coastal regions and
break on the shore may have been generated in the
open ocean and traveled coastwards or in the coastal
region itself by local winds. The initial wave genera-
tion process is similar in the open ocean and in coastal
regions, but the shallower water depth begins to affect
waveswhen it is less than about half awavelength. The
longer waves are affected first when a spectrum of
waves travels into a shallow region. Currents such as
tidal currents also affect waves and these currents are
often stronger in coastal regions. The reflection of
waves, due to the reduction in the velocity of propa-
gation in the coastal region, also has an important
influence onwaves near the shore. The classical theory
of surface waves deals with waves of uniform ampli-
tude, wavelength, and period, traveling in a fixed
direction. In reality, ocean surface waves have very
different heights, periods, wavelengths, and charac-
ters. Surface waves are studied by defining average
values (height, period,wavelength), the distribution of
values around mean value, and a wave spectrum,
representing the actual sea surface as a superposition
of a large number of waves with various periods,
amplitudes, and directions.

Remote sensing has evolved such that many para-
meters of the ocean surface may now be measured. In
terms of air–sea interactions, the oceanic parameters
include surface currents, wave directional spectra,
surface wind and heat flux, and temperature.
Atmospheric quantities include profiles of wind,
temperature, humidity, and chemical species. The
remote sensing of surface waves and fluxes has
been based, in most part, on empirical fits of infrared
and active remote sensing signatures to ground
truth measurements. Microwave remote sensing has
provoked a active interest in the shortest waves.
Short gravity waves and capillary waves have recently
received attention as the progenitors of the back-
scatter cross-section observed by microwave remote
sensors. The backscatter cross-section is a measure-
ment of the amount of microwave reflection from
capillary and short gravity waves with wave lengths in
the range 1–6 cm. On the smallest scales, the capillary
waves and short gravity waves respond quickly to the
wind, and thereby provide a linkage to the remote
microwave sensors. Synthetic aperture radar (SAR)
provides high-resolution imagery of the sea surface by
measuring Bragg-scattered radar pulses from the sea
surface.

Wave Dynamics

Equation of Motion

The approximate conservation equations for horizon-
tal momentum and mass may be written as eqns [1]
and [2].

qV
qt

þ V .=V ¼ �fk3V� =Pþ Fr ½1�

= .V ¼ 0 ½2�
Here, t is time, V is the velocity with components u, v,
andw,= is the gradient operator, P is pressure divided
by sea water density r, f ¼ 2O sin f is the Coriolis
parameter (where O ¼ 7:292�10�5 s�1 is the angular
velocity of rotation of the Earth and f is latitude). The
forcing term Fr with components Frx, Fry, Frz repre-
sents any forces, other than pressure or gravity, acting
in the body of the water. q=qt is the rate of change
following the horizontal motion of a fluid parcel. The
momentum equation [1] states that a change in the
horizontal velocity following the motion of a water
parcel is caused by an imbalance of the Coriolis force
(rotation of the Earth), the horizontal pressure gradi-
ent force, and the external forces. The equation
of mass continuity [2] states that the divergence of
the horizontal velocity must be balanced by vertical
motion.
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Linear wave theory assumes that the waves are
irrotational, that is, that they have no vorticity and the
curl of the velocity vector is zero. In this case,
nonlinear terms in eqn [1] including the friction term
Fr will be negligible. At the surface, using kinematic
boundary conditions and boundary conditions for
pressure, solutions show that the water particles move
in circular orbit of radius aekz with amplitude a, depth
z, andwavenumberk. The presence of a restoring force
(gravity and surface tension) establishes a relationship
between the wave frequency o and the wavenumber
vector k, which is known as a dispersion relation. The
velocity of wave propagation is defined by c ¼ o=k.
The energy density is the energy of awave field in a unit
of volume, which is proportional to the mean square
amplitude of all the waves in the volume. Wave
radiation is a transport or flux of energy that is caused
by the waves. Surface waves in reality come in finite
packets that involve a set of waves with different
wavenumbers and frequencies. The rate of energy
transmission by these wave packets is the group
velocity cg. The group velocity can have various values
in different parts of the spectrum. This means that
different parts of a wave group generally propagate
with different velocities. This process causes the
energy of the group to be dispersed over large volumes
or areas. The resulting loss in energy density or wave
dispersion is proportional to qcg=qk ¼ q2o=qk2. The
transfer of energy between different components of a
wave spectrum involves turbulent Reynolds stresses,
which are Fr terms in eqn [1].

Small-Amplitude Waves

The term ‘small-amplitude’ indicates waves for which
ak �1. This is a linear pattern of small-amplitude,
long-crested waves, which do not interact with each
other. For progressive waves of small amplitude, the
theory shows that the displacements, the particle
velocities, and the oscillatory part of the pressure
decrease exponentially with increasing depth, with a
factor expð2pz=lÞ (where l is the wavelength). This
shows that at a depth equal to half a wavelength, the
wave motion is reduced to about 1/23 of its surface
amplitude.

Solution of the above equations for a simple
harmonic wave travelling in the x direction leads to
the dispersion relation [3] for the surface wave.

s2 ¼ gk tanh kH ½3�

If the depth H is much larger than the wavelength,
kH �1 and tanh kH � 1. The dispersion relation [3]
reduce to s2 ¼ gk (deep water waves) and the magni-
tude of the phase velocity is c2 ¼ g=k. If the waves are
long and the water is relatively shallow, kH �1 and

tanh kH � kH, the role of surface tension will be
negligible. The dispersion relation has the form s2 ¼
gk2H (shallow-water or long waves including tidal
waves) and the magnitude of the phase velocity is
c2 ¼ gH. In deep-water waves, the perturbation
decreases exponentially with distance from the inter-
face. In shallow-water waves, the vertical velocity
decreases linearly from the surface to the bottom. The
horizontal velocity and the pressure perturbation do
not change with depth, and the barometric pressure
relation is satisfied.

Second-Order Waves

The special number ak ¼ 2pða=lÞ defines the maxi-
mum surface slope associated with a particular
harmonic wave. Waves cannot persist if ak >1 or
a=H >1 because the local, horizontal water velocity
at the wave crest will be larger than the wave phase
speed c. The wave must break in this case. Wave
steepness can also be related to the ratio of the
maximum vertical acceleration to the restoring force.
This ratio can be considered as a wave Froude number
(ratio of inertial to gravitational acceleration),
Fr ¼ ðw qw=qzÞ=g ¼ ðakÞ2. The linear approximation
for eqn [1] above is applicable only if ak �1. High-
order terms in eqn [1] cannot be neglected when ak
exceeds 0.2. The linear approximation leads to some
internal contradictions, even for the case when wave
amplitudes are considered small, indicating that the
average of the horizontal velocity at a fixed point
is zero while the particle velocity at the same point is
not zero.

The nonlinear terms in eqn [1] are also associated
withStokesdrift.The shapeof a surfacewavecannotbe
considered sinusoidalwhenhigher-order terms become
significant. In this case, the Stokes wave is a better
approximation than is a purely sinusoidal form. Stokes
waves become unstable, and must break, when a wave
develops a sharp crest with an interior angle of 1201.

Energy of Wave Motion

Wind waves are generated by the transmission of
momentum and energy from the air to the water. A
wave possesses both potential energy, arising from the
displacement of water particles vertically from their
undisturbed water level, and kinetic energy due to the
orbital velocity of the particles. The wave momentum
per unit surface area of any particular wave is given by
eqn [4].

Mk ¼ rkðc a2Þk=2 ½4�
The total wave momentum of all wavenumbers is
given by eqn [5], where fðkÞ is the mean-square
amplitude spectral density in a two-dimensional
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wavenumber space with polar coordinates (k; a).

M ¼ðr=2Þ
ZZ

ckfðkÞk2 dkda ½5�

The wave energy of any particular constituent wave
per unit surface is given by eqn [6].

Ek ¼ ðcMÞk ¼ rkðc2a2Þk=2 ½6�
The specific energy of the complete wave field is

obtained by integration over all wavenumbers or
frequencies as in eqn [7], where fðk; aÞ and CðsÞ are
themean-square amplitude spectra in two-dimension-
al wavenumber and frequency space.

E ¼ðr=2Þ
ZZ

c2fðk; aÞk2dkda

¼ðr=2Þ
Z

kc2CðsÞds ½7�

Wave energy conservation for a particular wave-
number k in the presence of a mean current with
velocity U and energy source/sink Sk is written as
eqn [8].

qEk

qt
þ cg þU
� �

.=Ek ¼ Sk ½8�

The wave energy conservation for all waves is written
as eqn [9].

qE
qt

þ cg þU
� �

.=E ¼ S ½9�

The left-hand side describes energy propagation
through a nonhomogeneous medium (currents, vari-
able depth). The right-hand side consists of source
terms describing energy input by wind (Sin), sinks
(whitecapping dissipation Sds and bottom terms), and
a nonlinear interaction term Ssn.

Wave Prediction

The principles of wave prediction were well known by
the 1960s. None of the wave models developed in the
1960s and 1970s computed the wave spectrum from
the full energy balance equation. The first models in
the 1960s and 1970s assumed that the wave compo-
nents suddenly stopped growing as soon as they
reached a universal saturation level. Here, the satura-
tion spectrumwas represented by Phillips’ one-dimen-
sional f�5 frequency spectrum and an empirical
equilibrium directional distribution was also pre-
scribed. Today it is generally recognized that a
universal high-frequency spectrum (the region be-
tween 1.5 and 3 times the peak frequency) does not
exist because the high-frequency region of the spec-

trum depends not only on whitecapping but also on
winds and on the low-frequency regions of the
spectrum through nonlinear transfer. Thus, the first-
generation wave models exhibited basic shortcomings
by overestimating the wind input and disregarding
nonlinear transfer.

The second-generation wave models attempted to
simulate properly the overshoot phenomenon and the
dependence of the high-frequency region of the spec-
trum on the low frequencies. However, the nonlinear
transfer parameterization requires the spectral shape
of the wind sea spectrum to be prescribed. These
models suffered basic problems regarding the treat-
ment of wind sea and swell.

The wave spectrumwas computed by integration of
the energy balance equation [9] without any prior
restriction on the spectral shape in the third-genera-
tion wave models. At present the state of the art in
wave models is the WAM model (the Wave Modeling
Group), which was developed by an international
group and is basedonadetailed physical descriptionof
air–sea interaction. This third-generationmodel is run
operationally at many operational organizations.
Prediction of significant wave height requires predic-
tion of the wave spectrum. Based on specified surface-
wind stress (and current) fields at all times, the wave
energy balance is solved to obtain the spectra (and the
significant wave heights) in wave predictions.

Marine and Oceanic Surface Layers

An important feature of the atmospheric boundary
layer over the ocean is the expenditure of momentum
and energy of the wind on the generation of waves and
currents. This constitutes a fundamental difference of
the atmospheric surface layer from the ordinary layer
above a smoothwall (a solid surface). The thickness of
the marine surface layer is a few tens of meters. A
distinctive property of this layer is that, within it, the
vertical fluxes of momentum, heat, moisture, and
various types of passive impurities vary little with
height, and they can be taken as constants. It is known
that the turbulent boundary layer of the atmosphere is
stratified; turbulent processes within it are influenced
by buoyancy, which in turn results from changes in air
density owing to fluctuations in temperature and
humidity. In particular, the structure of the main
interval of the atmospheric surface layer at a distance
above sea level greater then a few times the height of
the largest waves was described by the Monin–
Obukhov (hereafter MO) theory.

The basis of MO similarity theory is that the
structure of the turbulent flow in the surface layer is
governed by mechanical and thermal forcing. MO
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similarity theory states that the structure of turbulence
is determined by the height above the surface, z, the
buoyancy parameter, b ¼ g=S0, the friction velocity,
una, and the surface buoyancy flux H (S0 is either air
potential temperature ya or seawater density rs). Then
the mean velocity and temperature vertical distribu-
tions should be determinedby the values of parameters
u2
na, b, and H=rcp. The MO length scale has the form

given in eqn [10].

L ¼ �rcpu3na
kbH

½10�

The minus sign was introduced in eqn [10] to indicate
that the atmosphere is statically unstable when the
heat flux is positive.

The dimensionless vertical gradients of the mean
velocity u and potential temperature y should serve as
universal function of the dimensionless relation z=L
according to eqns [11].

qu
qz

¼ una=kzð ÞMu z=Lð Þ; qy
qz

¼ Tn=zð ÞMy z=Lð Þ ½11�

un=a ¼ ðt=rÞ1=2 and Tn ¼ ð�H=rccÞ=kuna are the fric-
tion velocity and temperature/salinity scales;Muðz=LÞ
and Myðz=LÞ are the universal functions of the
parameter z=L. The latter represents a criterion of
the hydrostatic stability: at z=Lo0 the stratification is
unstable; at z=L > 0 it is stable; and at z=L ¼ 0 it is
neutral. At sufficiently small heights/depths, the effect
of the stratification is small. In the case of the neutral
stratification (z=L ¼ 0), the velocity and potential
temperature vertically are distributed by the theory of
the logarithmic boundary layer (eqn [12], where z0 is
roughness length).

u ¼ una

k
ln

z

z0

� �
; y� y0 ¼ Tn ln

z

z0

� �
½12�

The important parameter of the theory is the MO
length scale, which can be used to distinguish two
sublayers within the surface layer. In the lower
sublayer, at heights less than the buoyancy scale, the
effect of stratification is small. The physics of a
uniform-density fluid can be applied to the turbulent
boundary layer in this sublayer. Thus the logarithmic
turbulent boundary layer is similar inmany respects to
the turbulent boundary layer above a stationary
smooth or rough surface. The upper sublayer occurs
at heights greater than theMO length scale, where the
effect of stratification ismore important than the effect
of mean wind shear. In unstable stratification, the
equations of turbulent convection apply in this layer.
Conclusions derived from the MO theory are the
principal tools for calculating the characteristics of the

turbulent atmospheric surface layer. The primary
conclusion to be drawn from the data analysis is that
at a sufficient distance above the sea surface (equal to a
few times the height of the highest waves), the MO
similarity theory gives a satisfactory description of the
characteristics of turbulence.

In the layer of air between the logarithmic sublayer
and the water surface, however, the theory of similar-
ity cannot be applied owing to the strong influence on
dynamic conditions exerted by the surface waves. The
effect of this factor shows up in all the characteristics
of turbulence. The effective mechanism is redistribu-
tion of the vertically invariant flux of momentum
between the turbulent and wave components of
momentum. In this sublayer, about 10m thick, waves
make a significant contribution to the mean and
fluctuating fields. The mean velocity profile deviates
from the logarithmic law and these deviations are
positive or negative depending on the age of the wave,
withmaximummeasured values of about70.5m s� 1

at the heights (accessible for measurements) closest to
the sea surface (positive for young waves, negative for
old waves). The waves increase the intensity of the
fluctuations and change the nature of the correlation
between the fluctuation characteristics. The peaks
produced by waves are clearly distinguishable in the
fluctuation spectra. The waves also make a consider-
able contribution to the total fluxes of momentum,
heat, and moisture. The mathematical procedure for
filtering stationary random processes can be used to
reconstruct the contributions ofwaves and turbulence.

Air–Sea Fluxes and Surface Waves

Momentum, Energy Fluxes, and Breaking Waves

The atmosphere and the ocean are in intimate contact
at their interface. The momentum, water substances,
heat, and trace constituents are exchanged across the
air–sea interface, which is the wave layer (Figure 1)
when surface waves exist. The wave layer has a
thickness of order of the wave height. The traditional
approach in treating thewave layer is to assume it to be
a flat interface across which there is a continuity of
momentum and energy. In this traditional approach to
describing the wave layer, its influences are expressed
through roughness effect.

Air–sea fluxes have traditionally been estimated by
a using bulk transfer coefficient (for momentum it is
called the drag coefficient, Cd). Over land, the role of
thermal stratification has been clearly recognized. In
the traditional approach, the wave-related process
responsible for the momentum and energy transport
are generally neglected The momentum flux, ta, from
the atmosphere to the ocean surface has the traditional

122 AIR–SEA INTERACTION / Surface Waves



form given in eqn [13].

ta ¼ rau0v0 ¼ rau
2
na ¼ raCdU

2
10 ½13�

The transports of momentum and heat are strongly
coupled to wave-induced processes near the wave
layer. There is evidence that the structure of the air–sea
surface layer and the mechanisms of momentum and
energy transfer are significantly affected by surface
waves. These resulting wave-related processes inval-
idate many approaches traditionally used for the
atmosphere over land.

A part of momentum and energy is transferred from
the atmosphere to currents, while another part is
transferred to waves. Based on conservation of
momentum fluxes through the wave layer (Figure 1)
and similarity relations, the balance equation of
momentumfluxes for the air–sea system canbewritten
as eqn [14].

rau0
aw

0
a � rsu0

sw
0
s ¼ gcwrau

2
na ½14�

In eqn [14], gcwrau
2
na is wave-related momentum flux;

the first and second terms of the left-hand side are
the atmospheric and oceanic momentum fluxes,
respectively.

The balance equation for the energy fluxes at the
air–sea interface (wave layer) has the form of eqn [15].

rau0
aw

0
aua � rsu0

sw
0
sus ¼ gcwrau

3
na ½15�

In eqn [15] gcwrau
3
na is the wave-related energy flux;

the first and second terms on the left-hand side are the
atmospheric and oceanic energy fluxes, respectively. If
g ¼ 0 (no waves), these equations reduce to the
traditional continuous conditions of momentum and
energy fluxes across the air–sea interface (the wave
layer reduces to a flat surface).

Turbulent Fluxes of Heat and Moisture

It is not clear how surface waves affect heat and
moisture fluxes. Accordingly, calculations of these
fluxes depend heavily on empirical formulations such

as bulk formulas. The turbulent fluxes of heat and
moisture for wind conditions �UUa > 3m s�1 are char-
acterized by bulk transfer coefficients of heat CT and
moisture CE, respectively. The variability of these
coefficients is one and a half orders of magnitude;
measurement data place their values in the interval
0:5�10�3 � CT, CE � 10�2. The rate of turbulent
transfer of heat and moisture in the boundary layer
depends on the atmospheric surface layer turbulence,
which is highly dependent on the extent to which the
wind and waves have adapted to each other. In other
words, it depends on wave age cw ¼ up=una. An
empirical expression that fits well with observations
and theory for developed waves (eqn [16], where A1

(B1) is some dimensionless quantity), demonstrates
the association between the heat exchange coefficient
CT and the drag coefficient Cd.

CT � A1½1–17C1=2
d �Cd ½16�

The large variability ofCT is determined by the degree
of wave development.

In the case of weak wind condition or nearly calm
weather, when �UUao3m s�1, the estimates of sensible
and latent heat fluxes from standard meteorological
measurements can be found by formulas [17] and [18].

QT ¼� A2racpaPr
�1=3
T DT

� DT þ 0:61e1p�1De
� � gDT

T

� �1=3
½17�

QE ¼� A2p
�1Pr

�1=3
E raAeeDe

� DT þ 0:61e1p�1De
� � gDE

T

� �1=3
½18�

Here A2 ¼ 0:14 and e1 ¼ 0:622 are the dimension-
less constants; g is the acceleration due to gravity;
TðKÞ ¼ 273þ �TTa is the reference temperature of
air at measurement height za where �TTa is in �C; p is
the atmospheric pressure at the Earth’s surface
(1013 hPa);PrT¼na=DT¼0:72 andPrE¼na=DE ¼ 0:6

Wave layer

za
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z0s
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Oceanic boundary layer

Atmospheric boundary layer
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Figure1 Theatmospheric boundary layer is coupled to theoceanic boundary layer and thewave layerwithwave-dependent roughness

from above, z0a, and roughness from below, z0s.
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are the Prandtl numbers; DT is the thermal molecular
diffusivity; DE is the molecular diffusivity of water
vapor; cpa is the specific heat of air; Ae is the specific
latent heat of evaporation; DT ¼ �TTa � �TTw is the
difference of air temperatures at the standard meas-
urement height �TTa

� �
andwater surface �TTw

� �
in 1C; and

De ¼ �eea � �eew is the difference between the humidity of
the air �eea at height za and the humidity of saturated
vapor �eew at the water surface temperature �TTw. The
humidity of saturated vapor �eew in hPa can be found
with help of expression [19].

�eew ¼ 6:1 exp½7:45Twð235þ TwÞ�1� ½19�
In the case �UUa > 3m s�1, the estimates of the sensible
and latent heat fluxes can be found using the tradi-
tional bulk formulas [20] and [21].

QT ¼ �racpaCT
�UUaDT ½20�

QE ¼ �raAep
�1e1CE

�UUaDe ½21�
It is suggested in the literature that the averaged values
of CT � CE are approximately equal.

Wave-Dependent Roughness Length and Drag
Coefficient

There are more than a dozen models for roughness
length in the literature; among these, Charnock’s
roughness length is the most popular. The roughness
length was originally conceived for surface with
roughness elements larger than the thickness of the
molecular sublayer. It is parameterization of the
surface wind over land that is reflected in the classical
logarithmic laws in eqns [12]. Charnock proposed a
well-known formula [22] for roughness length based
on a dimensional analysis, wherem is the Charnock’s
constant equal to 0.014–0.018.

z0 ¼ mu2
na

g
½22�

Traditionally, there has been only an aerodynamic
roughness length z0. This is the roughness for the air
side of the interface (wave layer) and hereafter it is
called the aerodynamic roughness from above (ARA,
z0a, in Figure 1). There are numerous studies on ARA
in the literature. The ARA and its closely related
parameter the drag coefficient Cd are important in
many applications. Realistic formulation of the ARA
is also important in the development of coupled
atmosphere–ocean models. In coupled models, an
aerodynamic roughness from below (ARB, z0s in
Figure 1) for the sea water side of the interface (wave
layer) is usually introduced by writing boundary
conditions for the ocean part of a coupled model.

Observational studies showed that roughness
lengths and drag coefficient depend not only on wind
speed but also sea state. The values increase with
decreasingwave age,which is associatedwith younger
waves (Figure 2). Younger waves are rougher than
morematurewaves. In near-calmwind conditions, the
sea surface appears ‘glassy’ and the boundary layer
immediately adjacent to the air–sea interface is viscous
and laminar. The roughness scale is the thickness of the
molecular sublayer. As the wind increases over the sea
surface, the surface changes from smooth to rough.
The air flow tends to be attached to the surface, but
when the waves become very steep or break, flow
separation occurs. For the fully rough flow, z0a is
traditionally determined by Charnock’s relationship,
and the kinematic viscosity no longer plays a role.
Observations show that the gravity–capillary wave
parameterization byCharnock’s relationship is not the
sole source of roughness in high wind conditions.

At the interface, it is assumed that theARAandARB
are functions of f ðuni; g; ra; rs; cwÞ. Hereafter the
subscript i ¼ a is used for atmospheric and i ¼ s for
oceanic variables; wave age cw ¼ up=una , with the
phase speed at the frequency peak being up. In general,
the sea state is characterized by thewave spectrum, but
the wave age is commonly used to characterize sea
state. Thewave agemeasures the stage of development
of wind sea (sea state). ‘Young’ wind sea refers to a sea
state when waves have just been generated by wind,
while ‘old’ wind sea refers to a saturated sea state, for
which the energy is steady in time. A cw of the order of
10 corresponds to young wind sea, and a cw of the
order of 25 corresponds to an old wind sea.

On the basis of dimensional analysis and consider-
ing that ARA/ARB are inversely proportional to wave
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age (ARA is larger for youngwaves than for developed
waves), the eqn [23] for the roughness length of both
sides of the wave layer (Figure 1) is derived.

z0i ¼ aiðra=rsÞu3na
gup

½23�

The function aiðra=rsÞ may be taken as an empirical
constant. Numerical experiments in comparison with
observations show that ai may be taken equal to 0.30.
Then, z0i has the form [24].

z0i ¼ 0:30u2
na

gcw
½24�

For developed waves with wave age cw ¼ 20–30, this
roughness length reduces to Charnock’s formulation
withCharnock constant of 0.01–0.015. For simplicity,
ARB may be taken equal to ARA.

Another ARA z0a, expressed as a function of wave-
induced stress, that is often used in large-scale mode-
ling has a form [25], where ttot is the total stress and
taw is the wave-induced stress.

z0a ¼ attot
grað1� taw=ttotÞ1=2

½25�

Here a can be chosen as 0.01 so that this roughness can
be reduced to the Charnock formulation with a
Charnock constant of 0.0185. The total flux (ttot)
[26] consists of the turbulence (tt) and wave-induced
(tw) stresses [27] (the stress due to the interaction
between wave perturbation and mean velocity field).

ttot ¼ tt þ tw ¼ rau
2
na ½26�

tt ¼ �rau0
tw

0
t; tw ¼ �rau0

ww
0
w ½27�

In eqn [27], u0 and w0 are fluctuating components
of velocity field. The ratio of wave-induced stress
tw to total stress ttot can be found as tw=ttot ¼
mapð28cw � 0:5 c2wÞ, where ap ¼ 0:57c�3=2

w is the so-
calledPhillips constant.This hold for cwo28.Theoreti-
cal and experimental studies show that the order of
magnitude of the ratio of wave-induced stress to
turbulent stress may vary between 0.20 to 1.0 or even
larger.

In the case of swells propagating in the wind
direction (cw 	33), the atmospheric boundary layer
receives additional momentum from the waves and
‘oversmoothed’ conditions of air flow over the sea
surface occur. However, the influence of swell on the
drag coefficient is still uncertain. The presence of cross
and counter swells can result inmuch higher values for
the drag coefficient than the value for the normal sea.

Beside roughness length, the momentum fluxes are
commonly estimated fromadrag coefficientCd,which
is another way to express the surface roughness. The
Cd is the neutral drag coefficient at 10m height, which
is calculated as Cd ¼ ðuna=U10Þ2 with U10 wind speed
at 10m height.

Air–Wave–Sea Coupled Modeling

Surface waves play an important role in lower/upper
marine atmospheric–oceanic boundary layers. In ad-
dition, turbulent kinetic energy (TKE) and dissipation
of the wave energy intensify turbulence in ocean/
marine mixed layers. They contain a considerable
amount of momentum and energy, redistribute them
over great distances, and supply energy for drift
currents and turbulence. Ocean circulation and
wind–wave models have traditionally been studied
separately using the same wind stress input. Ocean
circulation models ignored wave effects, while wave
models rarely considered ocean currents. Lately,
although some air–wave–sea systems have been de-
veloped, they do not incorporate the coupling physics
of the wind–wave–turbulence–current relationship.
The existing oceanic and marine atmospheric models,
including the large-scale air–wave–sea coupled sys-
tems in use,were developed on the basis of the classical
theory of turbulence (law-of-the-wall theory). Exper-
imental and numerical studies show that the classical
theory of turbulence fails in the prediction of observed
turbulent dissipation in the oceanic and marine
atmospheric surface layers. The classical theory also
has difficulties taking into account the interaction
between wind, wave, current, and turbulence.

Breaking waves are considered an important sup-
plement to shear production (classical wall-layer
theory) of turbulent energy. Surface waves also play
an important role in the velocity fields of the marine
and oceanic surface layers. The rate of turbulent
energy dissipation per unit mass, e, in the lower/upper
marine andoceanic turbulent layers (Figure 1) plays an
important role in surface layer mixing, marine and
oceanic turbulent structures, and momentum and
energy transport across the air–sea interface. It also
plays an important role in gas and pollutant transfer
across the interface. Its distribution also has an
important role in the verification of numerical models
because, of all turbulence properties, only it can be
measured readily in the ocean at the present time.

It is important for coupled models to relate the
model variables to wave breaking conditions or to
typical physical wave parameters such as wave age,
length, height, period, and phase speed at the spectral
peak, which are predicted by ocean wave models.
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Although the mixing-length (length scale) theory has
had significant successes in modeling turbulent geo-
physical flows, it is problematic in dealing with an
ocean surface containing surfacewaves and flows over
complicated terrain. Another problemwith the length-
scale theory models is that one need to assume a
length-scale profile before its prediction. It is not easy
for a modeler to choose a profile between more than a
dozen length-scale profiles in the literature.

A new turbulence concept considers surface waves
to be an important supplement of turbulent energy in
addition to traditional shear production of the classi-
cal wall-layer theory in the air–sea system. This new
turbulence concept is used in developing a coupled air–
wave–sea interaction and application to large-scale
modeling.

Turbulence Closure

The equations for momentum, temperature, and
humidity/salinity contain the vertical turbulent ex-
change coefficients that are determined by a turbu-
lence closure scheme with a surface wave
parameterization. This scheme consists of equations
for the turbulent kinetic energy (TKE), E, for the
turbulent dissipation, e, and for turbulent exchange
coefficient, Km, and wind–wave–turbulence–current
relationship equations. The equation for TKE is
written as eqn [28].

qE
qt

þU .=EþW
qE
qz

¼ �a1Km
qU
qz

� �2

þ qV
qz

� �2
"

� a3
a1

g

r0

qr
qz

�
þ a4

q
qz

Km
qE
qz

� �
� a2

E2

Km
þ Fe

½28�

The equation for eiii has the form [29].

qe
qt

þU 
 reþW
qe
qz

¼ b1Km
qU
qz

� �2

þ
"

qV
qz

� �2

� b3
b1

g

r0

qr
qz

�
e
E
þ b4

q
qz

Km
qe
qz

� �
� b2

e2

E
þ Fe ½29�

Fe in eqn [28] and Fe in eqn [29] are the horizontal
mixing terms, which are similar to Fy in equations for
temperature and salinity. The first two terms on the
right-hand side in [28] and [29] represent shear
production. The next terms are the buoyancy and
vertical diffusion terms. The last terms on the right-
hand side represent dissipation. The turbulent ex-
change coefficient formomentum is expressed in terms
of TKE and energy-dissipation using the Prandtl–
Kolmogorov equation [30], where aee ¼ a2 ¼ 0:046 is

a universal coefficient.

Km ¼ aee
E2

e
½30�

In ocean and atmospheremodeling practice, aee and a2
may be varied to provide a realistic relationship
between turbulent and thermodynamical structures.
The set of constants a and b link the exchange
coefficients for buoyancy and transport with Km as
in eqns [31]

Kh ¼ a3Km; Keh ¼ b3Km

Ke ¼ a4Km; Ke ¼ b4Km ½31�

The constants a and b have the values a1 ¼ 1:0,
a2 ¼ 0:046, a3 ¼ 1:0, a4 ¼ 0:73; and b1 ¼ 1:43,
b2 ¼ 1:97, b3 ¼ 1:45, b4 ¼ 0:73

Wind–Wave–Turbulence–Current
Relations

From conservation of energy and similarity analysis,
breakingwave effects are incorporated by eqn [32] for
the TKE flux.

raE0
aw

0
a � rsE0

aw
0
a ¼ f cwð Þrau3na ½32�

where the first termof the left-hand side is theTKEflux
from the atmosphere, the next is the oceanic TKE flux,
and the right-hand side term is the surface wave-
related TKE flux. Here, ra and rs are air and sea water
densities, respectively; una and uns are friction veloc-
ities; thewave age cw ¼ up=una with the phase speed at
the frequency peak up; and f ðcwÞ is a constant function
of wave age. For simplicity, f ðcwÞ can be taken as gcw.
The constant g represents wind–sea status, which can
be defined by numerical experiments on the air–wave–
sea coupled model. A similar equation can be written
for the TKE dissipation.

Using a wave breaking condition from the linear
wave theory for [32], the oceanic TKE (the atmos-
pheric TKE has a similar form) at the interface (the
wave layer) is given by eqns [33] and [34], where
a22 ¼ a�1=2

2 ; k ¼ 0:40 is von Karman’s constant;
rl ¼ ðra=rsÞ1=2 ffi 1=28; g is the accelerationof gravity;
and h is wave height.

E zð Þjzs ¼ a�1
22 u2

ns þ u2
nws

gcwa22
k

� �h i
½33�

unws ¼ rl
2gh

c2w

� �1=2

½34�

The first term on the right-hand side of [33] represents
the classical theory TKE. The second term is wave-
related TKE, and unws is wave-related friction velocity.
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Similar equations for e are [35] and [36].

e zð Þjzs ¼ b1u
3
ns=b2kz0 þ u3

nws=kz0 gcwe�Q=k
� �

½35�

Q ¼ a1=22 b1ge
b2ge

 !1=2

; ge ¼
1þ a1=22 g

k
;

ge ¼ 1þ gb2
b1 ½36�

The first term on the right-hand side shows the
traditional turbulent energydissipation, and the second
term is the wave-related turbulent energy dissipation.

An equation of the current–wave relationship is
derived from [15] eqn [37].

usjzs ¼ uajza � gcw
2gh

c2w

� �1=2

½37�

If g ¼ 0 or h ¼ 0 (no waves), eqns [32], [34], and [36]
reduce to a traditional conditions for TKE, e, and
velocity at the interface (the wave layer becomes an
interface surface in this case).

The above coupled model with the presented
wave parameterization and wave-dependent rough-
ness [21] predicts wave-dependent drag coefficients
(Figure 2) and TKE dissipation distribution in the
ocean (Figure 3) that show good agreement with
observations from different sources. Figure 3
also shows the dissipation distribution of the
classical theory of turbulence in comparison with
observations.

See also

Air–Sea Interaction: Momentum, Heat and Vapor
Fluxes; Storm Surges. Boundary Layers: Ocean
Mixed Layer. Coupled Ocean–Atmosphere Models.
Dynamic Meteorology: Waves. Ocean Circulation:
General Processes. Satellite Remote Sensing: Cloud
Properties.
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Introduction

Angular momentum is a property of mass in motion
about a given axis, which in a closed domain is
conserved. In the context of the atmosphere, angular
momentum is a useful parameter for studying dynam-
ics on different temporal and spatial scales. When the
reference axis is identified with that of the Earth’s
figure, which we may call the principal axis, the
resulting globally integrated axial angular momentum
value may be treated as a fundamental index of
atmospheric circulation. As such, this parameter
mirrors many aspects of the signature of climate and
weather. Furthermore, how angular momentum is
exchanged across its lower boundary, by means of the
interactive torques with the oceans and solid Earth
below, is important to quantify so that one can
understand how the Earth acts as a system. Small but
measurable changes in the Earth’s rotation rate
are a consequence of the exchanges of angular
momentum between the solid Earth and its fluid
envelope; this aspect of the variability is of importance
to the study of Earth physics and to the monitoring of
reference frames for satellite orbits and navigation.
The relevance of atmospheric angular momentum
changes to geodesy and geophysics has been recog-
nized by the formal organization of the Special Bureau
for the Atmosphere of the International Earth Rota-
tion Service to supply such atmospheric data to
geoscientists.

The angular momentum of a parcel of air in the
perpendicular plane about an axis is given as its mass
multiplied by the length of the radius arm to the
reference axis, multiplied by the component of the
velocity of the parcel in that plane, normal to the
radius arm. The angular momentum of the global
atmosphere about such an axis is the sum of the
angular momentum of all its air parcels, whichmay be
calculated by integration over the volume of the
atmosphere. Because the atmosphere is a fluid, vari-
ations in its angular momentum relate to changes in
both motion terms (relative to the Earth), as well as to
changes in its mass distribution.

As a conservative property, angular momentum in a
closed system is constant in total but can be redistrib-
uted within that system. For example, the atmosphere
transfers angular momentum northward principally

by means of transient eddies. The transport of angular
momentum is also accomplished vertically, carrying
angular momentum as part of the Hadley and other
mean meridional circulations.

The atmosphere, however, is far from a closed
system in this respect, and a streamfunction analysis
of zonal mean angular momentum has source
and sinks at the atmosphere’s lower boundary.
Indeed, there are exports and imports of angular
momentum across its lower interface by means of
torques. But the whole Earth, including its fluid
components, functions mostly as a closed system
with respect to the angularmomentumbudget (but for
the influence of certain well-known tides, principally
with the Moon).

If we consider atmospheric angular momentum
about the fundamental axis, the relative angular
momentum is largely dependent on the westerly
component of the wind, with the component related
to mass changes rotating with the Earth very small.
Because of the variations in this axial angular mo-
mentum quantity, the angular momentum in the other
components of the Earth system must change in
compensation. Indeed, observations using space-
geodetic techniques have demonstrated that the
Earth’s rotation rate changes perceptibly on many
time scales. Such a change is most conveniently
expressed in terms of variations in the length of day,
which are very nearly proportional to those in atmos-
pheric angular momentum.

Besides the principal axis, angular momentum may
also be calculated about pairs of other axes in the plane
perpendicular to the principal axis, in the equatorial
plane. In the components in the equatorial axes, the
term related to the mass of the atmosphere dominates.
These changes of atmospheric angular momentum
lead to motions of the Earth’s pole about the mean
rotation axis – the wobble of the Earth. Such polar
motions have also been measured by several space-
geodetic techniques.

Changes in the angular momentum of a bodymust be
produced by an imposed torque. In the case of the
atmosphere, such interactions occur across its lower
interface, with the solid Earth and the ocean below.
These torquesare relatedprincipally to twomechanisms.
In one, winds at the surface transfer angularmomentum
by tangential stresses across the surface, yielding a so-
called friction torque on the Earth. A secondmechanism
comes as a result of the existence of surface pressure
variability near areas of high topography. Such ‘moun-
tain’ torques result from the variability of the normal
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pressure gradient forces that push harder on one side of
the mountain than they do on other.

In the following, we will examine the distribution of
angular momentum in the atmosphere, principally the
axial component, and thenwe discuss its variability on a
number of time scales. We also expand upon the
relationship to the corresponding motions of the Earth.

Axial Angular Momentum in Regions

The dominant relative angular momentum about
Earth’s axis depends on the strength of zonal winds,
which tend to be persistent features of the atmospheric
circulation. In Figure 1we present the latitude-pressure
distribution of the long-term zonal mean zonal wind
based on the so-called reanalysis dataset from the US
National Centers for Environmental Prediction and
National Center for Atmospheric Research (NCEP-
NCAR); we used the most recent 30 years to form a
climatology of the mean wind in the figure. A similar
signature exists in the two hemispheres. Mean easterly
winds are found in the tropical regions, with a broader
latitudinal extent at the surface than higher in the
atmosphere. The winds are westerly over most of the
extratropics. Increases in the strength of these winds
with height in the atmosphere lead to very strong
westerlies in the upper troposphere, at levels near
200hPa; above this jet level, they tend to decrease
again.Regionalmapsof such jets at this level reveal that
the strongest values are located over the eastern North
American and Asian continents. The strong winds at
these regions contribute heavily to the relative compo-
nentof the axial angularmomentumof the atmosphere.

Angular momentum can be computed in zonal belts
from values of the zonal wind, so that a profile of
angular momentum (Figure 2) reveals the general
distribution with latitude. The seasonality of the
angular momentum can be noted as the substantial

difference between the December/January/February
periods and the June/July/August periods. It is clear
that middle latitude belts have their largest values
during theirwinter, in both the Southern andNorthern
Hemispheres, but the annual cycle is larger in the
northern than in the southern hemispheric belts. Most
of the atmosphere has westerly relative angular
momentum, indicating that in these regions the
atmosphere superrotates with respect to the underly-
ing planet.

Global Atmospheric Angular
Momentum

From series of the four-times daily zonal winds given,
based on the NCEP–NCAR reanalyses, global values
of the relative atmospheric angular momentum are
calculated by integration over the volume of the
atmosphere. In the resulting series of atmospheric
angular momentum values, shown in Figure 3, a host
of interesting signals on a number of important time
scales emerges. For example, it is clear that a strong
annual cycle exists, whose phase yields a peak around
January, during the period of the strongest Northern
Hemisphere jets in the boreal winter. The angular
momentum signal in each hemisphere peaks in its
respective winter months, but the annual signal in the
Northern Hemisphere has a stronger amplitude than
that of the Southern Hemisphere, due to the greater
continentality of the Northern Hemisphere. As
a result, the phase of the global signal is that of
the Northern Hemisphere, though the amplitude is
reduced.

In the figure is also evidence of a superimposed
semiannual signal, which can be noted as a combina-
tion of a dip during the middle of the northern winter,
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and a sharp plunge in the middle of the southern
winter. This semiannual signal arises largely from the
correspondingwind signal in the stratosphere. Such an
overall signature is derived from annual patterns at

different latitudes that peak six months out of phase.
These varying patterns can be noted in the time–
latitude diagram of angular momentum in the strato-
sphere in Figure 4.
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On interannual time scales, we find two prominent
signals in the global signature inFigure 3, one on scales
slightly longer than 2 years, and a second on time
scales closer to 4 years. The shorter of the two relates
to the so-called ‘quasi-biennial oscillation’, a result of
the reversal of the zonal winds in the tropical strato-
sphere. The second of the two has a signature that
attains a maximum around the time of peaks in the
El Niño Southern Oscillation (ENSO) over the trop-
ical Pacific Ocean.

Quasi-Biennial Oscillation in
Atmospheric Angular Momentum and
Stratospheric Winds

The distribution of winds in the stratosphere is such
that westerly winds predominate in middle latitudes
and easterlywinds are found in the tropics. In alternate
years, approximately, however, the tropical easterly
winds tend to diminish substantially or even reverse
their direction to becomewesterly. Such an alternating
signal, though noted first over the western Pacific, has
been observed at other longitudes, and it is very well
captured by a zonal average. It can be observed

between 100 and 10 hPa in Figure 4 in the strato-
spheric pressure levels in the belts surrounding the
equator. Because angular momentum is calculated
with weights related to the distance to the rotation
axis, the contributions from the zonal winds at the
lowest latitudes, farthest from the rotation axis, are
most important here. The vertical curve on the right-
hand side of Figure 4, the sumover all the belt values in
the stratosphere, clearly reflects an alternation every
other year in the global time series of angular
momentum in the stratosphere.

ENSO InfluenceonAngularMomentum

The influence of the El Niño Southern Oscillation
produces a clear signature in the evolution of angular
momentum. The origin of the strong peaks in the
global relative atmospheric angularmomentummaybe
noted in the time–latitude diagram, such as Figure 5,
which, to emphasize the ENSO time scales, filters out
signals longer than 4 years and is confined to the region
below 100 hPa. During periods of El Niño, the
tropospheric zonal winds have westerly anomalies,
equivalent to weakened easterlies or to westerlies in
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part of the tropics initially, and then anomalously
strong westerlies more poleward on the order of six
months to one year later. During the peak of the
westerly anomaly period, especially, the globally
integrated atmospheric angular momentum is notably
strong. Two such strong values recently were during
the 1982–83, and the 1997–98 ElNiño events. During
these episodes, the global signal in relative atmos-
pheric angular momentum was exceptionally high.
However, the record value, in January 1983 came
about as a result of the superposition of the El Niño
signal with that of the normally strong seasonal signal
during northernwinter. However, the 1997–98 had an
exceptionally extended period in which there were
strong positive atmospheric angular momentum
anomalies.

With the cooling of the waters in the Pacific, the La
Niña ushers in a different circulation from that of the
El Niño, and anomalously easterly winds create a
negative anomaly in atmospheric angularmomentum.
The transition can be quite abrupt, as occurred during
May 1998, a month that featured a reversal of the sign
of angular momentum anomaly across a very wide
meridional band from the middle latitude of the
Southern Hemisphere to the middle latitudes of the
Northern Hemisphere.

Torques Across Atmosphere’s
Lower Boundary

The angular momentum of the atmosphere may
fluctuate quite rapidly, and so it is apparent that
means must exist to accomplish this change at the
atmosphere’s lower boundary. Two principal torque
mechanisms to effect the angular momentum transfer
have been identified. In one, the atmosphere sets up a
pressure gradient force on opposite sides of moun-
tainous topography, and when considered at a dis-
tance from the axis, the normal force near topography
creates a so-calledmountain torque on the atmosphere
and Earth. Thus, a relatively low pressure on the west
of amountain range and relatively high pressure on the
east will tend to decelerate the Earth and thus
accelerate the atmosphere. A second major torque
results from the tangential forces of the winds against
the ocean or land below. This force on the atmosphere
will be counter to the direction of the zonalwinds; thus
westerlies will tend to diminish by the action of
friction, and the Earth will gain the angular momen-
tum transferred from the atmosphere.

The time scales on which the mountain and friction
torques operate are quite different. Mountain torques
have primary responsibility for the atmospheric angular
momentum fluctuations on the synoptic scales of

weather events. Thus, important changes in global
angular momentum have been tied to individual weath-
er patterns across the Rocky, Andes, and Himalayan
Mountains. Indeed, a considerable percentage of the
rapid fluctuations in the Northern Hemisphere winter
can be tied simply to surface pressure differences
between twostationson theopposite sideof theRockies.

At lower frequencies, the mountain and friction
torques have approximately the same amount of
power. However, the Madden–Julian oscillations
may be dominated by the friction torques over the
Pacific Ocean. Determining the mechanism for the
seasonal and interannual angular momentum varia-
tions, such as in the generationofElNiño conditions in
atmospheric angular momentum is somewhat more
difficult; such lower frequency variations likely result
in a combination of effects.

Other mechanisms for exchange of angular mo-
mentumhave been theorized.That due to gravitywave
drag, which exchanges momentum in internal waves,
typically over uneven topography, is similar to the
frictionmechanism, but on larger spatial scales. Lastly,
gravitational torque, involving the attraction of the
planet with the varying atmospheric mass, is a
relatively small contributor for the axial component
of angular momentum.

Concurrent Changes in Atmospheric
Angular Momentum and Length of Day

Because of the exchange of angular momentum
between Earth and atmosphere, Earth’s rotation rate
fluctuates in very close connection to the changes in the
global atmospheric angular momentum. This conser-
vation would imply a strict proportion between
variations in atmospheric angular momentum and
those in length of day (l.o.d.). The relationship
between l.o.d., determined using observations by
means of space-geodetic systems, like very-long base-
line interferometry, and satellite-laser ranging, and
those of atmospheric angular momentum, obtained
from the NCEP–NCAR reanalyses, integrated
through 99% of the atmosphere, to 10 hPa, is shown
over a 2-year period in Figure 6. The very good
agreement between the two series is remarkable
because of the extremely different data types from
which they are derived. The seasonal and intrasea-
sonal fluctuations occur quite closely in both series.
Indeed, coherence between the two is very strong on
scales down to 7 days, and has some significance on
scales as short as daily. Interestingly, the intrasea-
sonal fluctuations in l.o.d. were discovered indepen-
dently from those of the atmospheric Madden–Julian
oscillation, related to fluctuations across the Pacific
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Ocean and observed in both the tropics and extra-
tropics. Differences in angular momentum between
the Earth and atmosphere point to either errors
in the data sets, or to the role in the exchange of
angular momentum of a third component, such
as the oceans.

Models and Historical Series of
Atmospheric Angular Momentum

The atmosphere has been simulated by a large number
of models that are driven solely by the temperature of
the underlying ocean. Based on these models, atmos-
pheric angular momentum has been calculated and
used,moreover, as a parameter formodel validation to
determine the success of model simulations. Aside
from observations of angular momentum, independ-
ent measurements of l.o.d. have been used to examine
the results of models. Lengthy runs of models are
possible because sea surface temperatures are avail-
able for most of the twentieth century; these models
are unlike atmospheric analyses, whose dependence
on upper air winds, are confined to the second half of
the century. Such runs indicate that an increase in such
values over the last half century appear to have
occurred, possibly related to the relative increase in
ElNiño activity. Increases in the short-term variability
of atmospheric angular momentum moreover appear
to have taken place.

Models can be run in a prognostic mode as well, to
determine, for example, the effect of an increase in
greenhouse gases on the angular momentum of the
Earth. Such effects may include changes in the annual
signature, and a possible decrease in angular momen-
tum could be related to the warming of the higher
latitudes, which could induce a reduction in temper-
ature gradient and the strength of zonalwinds.Use of a

coupled atmosphere–ocean model would help resolve
the changes that would be needed for the prediction of
angular momentum trends.

Also, because of the close relationship on time scales
fromdays to a fewyears, between l.o.d and atmospheric
angularmomentum, earlier recordsof l.o.d.maybeused
as a proxy for the global variations in the atmosphere. A
record of l.o.d. back to the dawn of the telescope era in
the seventeenth century has been examined, though it is
of insufficient accuracy for atmospheric purposes until
the end of the nineteenth or the beginning of the
twentieth century. Signals relating to changes in varia-
bility of the atmosphere during certain decades (like the
1920s and the 1940s, which had high and low interan-
nual variability, respectively, in l.o.d.), and dominant
interannual time scales (3.4 and 2.1 years) have been
determined from such a proxy record.

Atmospheric Angular Momentum in
the Equatorial Plane and Polar Motion

Besides its rotation about the principal axis discussed
for most of this article, the other two components of
the atmospheric angular momentum vector, namely
those in the equatorial plane, can be determined.
Though not of clear fundamental interest to atmos-
pheric studies, this component of angular momentum
is related importantly to certain motions of the Earth
known as Earth wobble, or polar motion. Related
fluctuations of angular momentum in these compo-
nents are stronger in the so-called matter (surface
pressure) term than in the motion (wind) term. Thus,
pressure variability over certain regions like the
northern Pacific and Atlantic (Aleutian and Icelandic
lows, respectively), the southern oceans, and over
Eurasia have been determined to be important
to fluctuations of equatorial angular momentum
(Figure 7).

When atmospheric pressure fluctuations over the
oceans are observed carefully, it can be noted that
those on time scales of several days and longer
influence the distribution of the ocean mass below.
This effect, the so-called inverted barometer, acts so
that a high atmospheric pressure will depress the
surface below, moving ocean mass away from that
region; the opposite action occurswith a relatively low
atmospheric pressure. Such an inverted barometer
relationship has the effect of dramatically reducing the
mass component of the effective angular momentum
signal of the atmosphere over the oceans.

For the continental regions remaining, the mass
fluctuations over Eurasia, predominantly, and North
America, secondarily, appear to be the biggest regional
atmospheric influences exciting polar motions on
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subseasonal and other time scales which have been
monitored using space-geodetic methods. On longer
time scales, the ocean plays a role of similar impor-
tance to that of the atmosphere. The more dominant
such ones for polar motion are the annual term and
that of the natural modal response of the Earth’s polar
motion, with period near 430 days, known as the
Chandler wobble. At the other end of the frequency
spectrum, a motion of the Earth on near daily time
scales, known as nutation, is also driven partially by
atmospheric angular momentum forcing.

See also

Air–Sea Interaction: Momentum, Heat and Vapor Flux-
es.ClimateVariability:Decadal toCentennial Variability;
Seasonal to Interannual Variability. El Niño and the
Southern Oscillation: Observation. General Circula-
tion: Momentum Budget. Land–Atmosphere Inter-
actions: Overview. Middle Atmosphere: Quasi-
Biennial Oscillation; Semiannual Oscillation. Mountain
Meteorology.
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Introduction

Antarctica is the coldest, windiest, and driest conti-
nent on Earth, with a remote location far from the
major centers of population. Yet as one of the two heat
sinks in the global climate system it plays a crucial role
in the general circulation of the atmosphere and has a
profound effect on the atmospheric and oceanic

conditions across the Southern Hemisphere. This
article presents a brief overview of the climate of
Antarctica, which is taken to be the area south of 601 S
(a map of the Antarctic indicating topographic
features and the locations of many of the research
stations is shown in Figure 1). Statistics on mean and
extreme atmospheric conditions are provided, along
with selected mean meteorological fields. Particular
attention is paid to the factors that maintain the
climate of the Antarctic and the interactions with
lower latitudes.
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The Antarctic Continent

The climate of the Antarctic is influenced heavily by
the orography of the continent, the highest part of
which is located close to but slightly offset from the
South Pole. TheAntarctic represents about 10%of the
land surface of the Earth and elevations increase very
rapidly inland of the coast, withmuch of the continent
being above 2 km in height and small areas above
4 km. The high interior is therefore isolated from the
warm air masses of midlatitudes and is characterized
by very cold, dry, relatively cloud-free conditions
(Table 1).

The other landmasses of the Southern Hemisphere
are well north of the Antarctic, so that the oceanic and
atmospheric flow is much more zonal than in the
Northern Hemisphere. This further isolates the Ant-
arctic from the influences of lower latitudes and is one
of the reasons the Antarctic is significantly colder than
the Arctic.

Weather Systems in the Antarctic

The large difference in temperature between the
Antarctic and the tropics is responsible for the many
active depressions found over the Southern Ocean.
These carry warm (cold) air southwards (northwards)
on their eastern (western) flanks and attempt to
remove the radiatively induced pole to tropics tem-
perature difference. Because of the distribution of the
landmasses in the Southern Hemisphere the atmos-
pheric long waves have a smaller amplitude than their
counterparts in the north, so that the depressions play
a greater role in the poleward transport of heat than in
the Northern Hemisphere.

The depressions over the Southern Ocean generally
move from west to east, with those that developed at
more northerly latitudes spiraling in towards the
Antarctic coastal region. The meeting of cold Antarc-
tic and midlatitude air masses in the Antarctic coastal
region results in a moderate to strong horizontal
temperature gradient (baroclinicity), so that this area
is also one of frequent cyclogenesis (development of
depressions). In fact, recent studies using the analyses

from numerical weather prediction systems have
shown that theAntarctic coastal region has the highest
incidence of cyclogenesis anywhere in the Southern
Hemisphere. The zone of 60–701 S is therefore char-
acterized by many depressions, both declining and
active, which results in a belt of low surface pressure
called the circumpolar trough. This can be seen in the
maps of mean sea-level pressure (MSLP) for the four
seasons shown in Figure 2. The circumpolar trough is
present throughout the year, and in themean fields has
an approximate wavenumber 3 pattern with low-
pressure centers close to 301E, 901E, and1501W.This
pattern affects a number of aspects of the Antarctic
climate, such as the northward extension of sea ice
close to the Greenwich meridian, as a result of the
climatological southerly flow at this longitude and the
relatively mild temperatures experienced on the west-
ern side of the Antarctic Peninsula because of the
predominance of north to north-westerly airstreams
affecting the area. From Figure 2 it can be seen that
MSLP valueswithin the circumpolar trough are lowest
during the spring and autumn, and higher during the
summer and winter. This semiannual oscillation can
be detected in theMSLP observations from the coastal
stations and also in the number of reports of precip-
itation. The oscillation is a result of changes in the
position and intensity of the circumpolar trough over
the year, with it being furthest south (north) and most
pronounced (weak) in the intermediate (summer and
winter) seasons. The cycle is present because of the
phase difference between the seasonal cycle of surface
pressure values over the continent and the sub-
Antarctic latitudes.

One aspect of the climate of the Antarctic that was
apparent only once satellite imagery became generally
available is the degree to which mesoscale low-
pressure systems (mesocyclones) are a feature of the
Southern Ocean and Antarctic coastal regions. These
systems have a horizontal length scale of less than
about 1000 km and a lifetime of less than about 1 day
and are therefore difficult to analyse and forecast.
However, they have a major impact on the weather
experienced at coastal sites and so are important in the
forecasting processes. Althoughmesocyclones are rare

Table 1 Mean temperature data for selected Antarctic stations

Station Latitude Longitude Elevation

(m)

Period Mean annual

temperature

Mean January

temperature

Mean July

temperature

Vostok 78.51S 106.91E 3488 1958–2001 �55.41C �32.21C �67.11C
South Pole 90.01S 2800 1958–2001 �49.51C �28.21C �59.71C
Mawson 67.61S 62.91E 16 1954–2001 �11.21C 10.11C �18.01C
Faraday Vernadsky 65.41S 64.41W 11 1951–97 � 3.91C 10.71C � 9.21C
Bellingshausen 62.21S 58.91W 16 1968–2001 � 2.41C 11.51C � 6.61C
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over the high interior, they are a common feature on
the ice shelves. Here there is low-level convergence of
air that has descended from the plateau,which aids the
spin-up of vortices, coupled with the presence of mild,
oceanic air masses that provide moisture for the
formation of cloud. However, during the winter
season the automatic weather stations on the Ross
Ice Shelf have indicated that low-level mesoscale
vortices can be present that do not have any cloud
associated with them, but which have a clear surface
circulation.

Because of the rapid increase in elevation inland of
the coast, few major weather systems penetrate far
into the interior of the continent. However, satellite

imagery does show that some frontal bands associated
with lows in the circumpolar trough can be seen on the
plateau, although automatic weather station data
suggest that the pressure signals across these features
are small. The conditions that favor depressions
having an impact in the interior are amplified long
waves and strong steering flow aloft. Under such
conditions mild air masses over the plateau can give
relatively large falls of precipitation, resulting in a
significant fraction of the year’s accumulation falling
in a day or two. When the longwaves are strongly
amplified, maritime air masses can affect the South
Pole and even Vostok Station on the high plateau of
East Antarctica, but such conditions are rather rare.
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The Role of Sea Ice

Another major influence on the climate of the Antarc-
tic is the seasonally varying belt of sea ice that rings the
continent. Unlike in the Arctic, most of the sea ice
melts during the summer so that by February there is
only about 3.5�106 km2 of ice, most of which is
located over the western Weddell Sea. From February
and throughout the winter and early spring the sea ice
advances in a divergent fashion around the whole
continent, reaching a maximum in September, when
the ice covers around 19�106 km2.

The Antarctic sea ice is generally about 1m thick
and provides an effective cap on the upper layers of the
ocean, limiting the fluxes of heat andmoisture into the
lower layers of the atmosphere.However, the effects of
themanyweather systems over the SouthernOcean on
the sea ice is to open up linear cracks (leads) or larger
areas of open water (polynyas), which can provide
local sources of heat or moisture, resulting in cloud.
This can be important for the climate at the coastal
stations during the winter months when the opening
up of coastal leads and polynyas can significantly
increase the temperature and humidity, sometimes
leading to fog formation.

The other major effect of sea ice is to increase the
surface albedo. This is not a significant factor during
the period of winter darkness, but can be important in
the spring when the sun returns to the high latitude
areas slowing the surface heating.

The Temperature Field

Because of the low solar elevations in summer and the
long period of winter darkness, the bulk of the
Antarctic receives little incoming solar radiation and
is always very cold. In addition, the snow-covered
surface reflects much of the incoming solar radiation
back to space, so giving rise to a positive feedback that
helps maintain the frigid conditions.

The high plateau of East Antarctica experiences the
coldest temperatures on Earth and at Vostok Station
(78.51 S 106.91E, 3488m elevation) they have
an annual mean temperature of � 55.41C and have
recorded the lowest temperature on Earth of
� 89.61C, measured on 21 July 1983. The very cold
temperatures are experienced not just because of the
lack of midlatitude air masses reaching the area, but
because of the total lack of solar heating during the
winter months, the high elevation of the Antarctic
plateau and the very limited amounts of cloud and
water vapor in the atmosphere, which allow much of
the emitted long-wave radiation from the surface to be
lost to space. Although the near-surface layers on the
plateau are very cold, a characteristic of the climate of

the high plateau is that temperatures increase with
height over the lowest few hundred meters of the
atmosphere. This temperature inversion is a result of
the intense radiative cooling of the surface and lower
atmosphere and is therefore strongest during the
winter season, although in other seasons it is still
significant. Themean strength of the winter inversion,
i.e., the temperature difference between the surface
and the maximum temperature in the lower tropo-
sphere, varies from about 51C in the coastal region to
more than 251C over the highest parts of East
Antarctica.

Across the Antarctic there is a very large range of
annual surface air temperatures, although it is only in
the northernmost part of the Antarctic Peninsula that
mean summer temperatures rise above freezing. Over
the Antarctic Peninsula and along the coast of East
Antarctica the annual cycle of temperatures is similar
to those found in midlatitudes with a broad summer
maximum and a minimum in July or August. How-
ever, at more southerly latitudes the cycle is different,
with a sharp summer maximum and a ‘coreless’
winter, during which temperatures vary by only a
small amount. This form of the annual cycle comes
about for a number of reasons, including the abrupt
change in solar radiation at the start and end of the
period of Austral winter darkness, the effects of the
semiannual oscillationof the annual cycle of advection
of warm air into the Antarctic, and the heat reservoir
effect of the Antarctic snow pack.

At higher levels in the troposphere the atmosphere is
strongly stratified, much more so than in the midlat-
itude areas of the Southern Hemisphere. This is the
case in all seasons, with the stability being strongest
below about 4 km during the winter. In radiosonde
ascents a tropopause in usually evident in the summer,
but it can become very indistinct during the winter
when the stratosphere cools rapidly.

The Wind Field

The strong, persistent winds recorded at a number of
sites around the Antarctic are one of the most
remarkable features of the continent’s climate. It is
now known that these winds are katabatic in origin
and occur because of the drainage of cold, dense air at
low levels from the interior plateau down towards the
coast. The katabatic winds are most pronounced
during winter, when there is no incoming solar
heating, and a large pool of cold air over the interior
is formed to feed the katabatic flow.

Surface winds over the interior show a high direc-
tional constancy, indicating that they are dictated by
the local orography through katabatic forcing rather
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than by the highly variable synoptic-scale weather
systems. The wind speeds are closely related to the
slope of the orography, with the strongest winds being
measured at stations on the coastal escarpment and the
weakest on the flattest areas of the plateau. Along the
coast of Adélie Land the orography channels the
katabatic flow onto a small stretch of coast, resulting
in very strong and persistent winds with a very high
directional constancy. It was in this area that Maw-
son’s 1912–13 expedition recorded the world record
annual mean wind speed of 19.4m s�1 and experi-
enced gale-force winds on all but one of 203 consec-
utive winter days.

As the katabatic winds descend from the plateau
they turn to the left because of the Coriolis force
and merge with the coastal easterlies that are present
because of the circumpolar trough north of the
coast. The near-surface flow therefore appears as an
anticyclonic vortex, with cold air outflow from the
continent. In some parts of the coastal region, such as
south of the Weddell Sea, the coastal easterly
comes up against high orography and the cold,
stably stratified air at low levels does not have the
kinetic energy to cross the barrier. The air is then
dammed up against the barrier until a pressure
gradient develops that results in the air moving north
as a ‘barrier wind’. With the strong static stability
encountered at low levels in the Antarctic, barrier
winds are relatively common in the coastal areas of
the continent.

Clouds and Precipitation

Clouds are very important in the climate system as
they can reflect a significant proportion of the incom-
ing solar radiation back to space. However, since the
surface of the Antarctic already has a high albedo by
virtue of the year-round snow cover, clouds over the
continent tend to have less of an effect on the incoming
solar radiation because the surface and cloud have
similar albedos. Nevertheless, clouds play a very
important role in controlling surface temperatures
through their effect on the long-wave radiation budget.
In cloud-free conditions, the dry atmosphere allows
most of the emitted terrestrial radiation to escape to
space, resulting in very low temperatures. However,
when thick cloud cover is present surface temperatures
are much higher because of the downward long-wave
radiation emitted from the cloud.

Since most of the research stations are located in the
coastal region, it is difficult to get an accurate picture
of the distribution of cloud across the continent.
However, using in situ data and satellite imagery,
climatologies of cloud cover have been prepared.

These suggest that the greatest cloud cover is found
over the ocean area north of the edge of the continent,
with about 85% cloud cover throughout the year near
601 S. In the coastal region near 701 S, the surface
observations indicate that the total cloud cover is
about 45–50%, with little seasonal variability and
only a small decrease during thewintermonths. Inland
of the coast, the amounts of thick cloud decrease
rapidly, since few synoptic-scale weather systems are
found here. However, the interior is characterized by
extensive, very thin cirrus cloud which gives a semi-
permanent veil of ice crystals. This type of cloud causes
problems for observers,who have to decidewhether to
report no cloudor 10/10 cloud cover.Themean annual
cloud cover at South Pole station is 45%, but anyone
using such statistics has to be aware of the nature of the
cloud that occurs there and the problem facing
observers of how to report the thin cirrus.

The amount of precipitation across the Antarctic
generally follows the distribution of thick cloud. In
otherwords, the greatest precipitation totals are found
in the coastal region, with a rapid decrease inland.
Figure 3 shows the mean annual precipitation across
the continent as estimated from ice cores. These
glaciological measurements of accumulation are very
similar to precipitation, since there is little evaporation
in the interior. However, they are not identical,
because of the effects of blowing snow and summer
melt in some areas. But with so few in situ measure-
ments of precipitation they have been used extensively
as a proxy for precipitation. In Figure 3 it will be noted
that no data are presented for the northern part of the
Antarctic Peninsula, since precipitation varies so
rapidly in this area. It can be seen that the area of
greatest precipitation is along the coast of the southern
Bellingshausen Sea, where there is over 1m water
equivalent per year. This peak is found because of the
high frequency of northerly airstreams bringing mild,
moist air onto the coast. Other areas of high precip-
itation are found where there is frequent cyclonic
activity, such as north of Enderby Land and along the
coast of East Antarctica. The lowest precipitation in
the coastal region is found on the low-lying Ross and
Ronne Ice Shelves. Inland of the coast the amounts of
precipitation drop very rapidly, so that over the vast
majority of East Antarctic there is less that 50mm of
precipitation a year.

A number of estimates have been made of the mean
and total snow accumulation across the whole of the
Antarctic ice sheet using glaciological data gathered
in situ. These estimates have improved as additional
surveys have been carried out, and the latest studies
suggest a figure of around 160mm water equivalent
per year. This equates to a total input of approximately
2205Gt year�1.
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The nature of the mechanisms behind precipitation
is different across the Antarctic, with most precipita-
tion in the coastal area coming from synoptic-scale
weather systems, while in the interior most falls in the
form of clear-sky precipitation, or ‘diamond dust’ as it
is sometimes known. This is an almost continuous
fallout of ice crystals from a thin veil of cirrus covering
the sky. Clear-sky precipitation has not been investi-
gated to any great degree, but is thought to result from
the cooling of air over the plateau and the formation of
ice crystals as it descends into the cold near-surface
layer. Just inland of the coast there is a zonewhere both
synoptic-scale weather systems and clear-sky precip-
itation both play a role. Over Dronning Maud Land
studies have shown that clear sky precipitation falls on
most days, but that a few major weather systems can
give a significant fraction of the year’s accumulation in
a few days.

Climate Variability and Change

Both the Arctic and Antarctic exhibit a greater degree
of interannual and interdecadal climate variability
than locations at lower latitudes. This is thought to be
a result of the complex interactions between the
atmospheric circulation and the cryosphere, including
a number of positive-feedback mechanisms that am-
plify the climate variability.However, our understand-

ing of climate variability and change is limited in the
Antarctic because of the shortness of the records and
the fact that most research stations are on the coast,
with only Vostok and South Pole stations having long
records from the interior.

The time series of annual mean surface air temper-
atures at a number of stations are shown in Figure 4.
These stations are located in different climatic re-
gimes, at the South Pole (Amundsen–Scott), on the
high interior plateau (Vostok), on the coast (Mirny and
Halley) and at Orcadas in the SouthOrkney Islands. It
can be seen that all the stations show a high degree of
interannual variability, but that this is largest on the
western side of the Antarctic Peninsula at Faraday/
Vernadsky Station. This station is located close to the
northern limit of the sea ice in the Bellingshausen Sea,
and small variations in the ice extent are amplified into
much larger surface temperature variations, depend-
ing on whether the ocean west of the station is ice-
covered or ice-free in a particular winter. Most of the
stations show a small warming trend, the exception
beingAmundsen–Scott Station,where there has been a
slight cooling since the late 1950s. Thewarming on the
western side of the Antarctic Peninsula is larger than
elsewhere in the Antarctic, and even though the record
is not long by the standards of stations outside the
Antarctic, thewarming trend is statistically significant
at the 99% level. Antarctic-wide temperature trends
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have been considered by various investigations within
which seasonal and annual average temperatures for
Antarctica have been calculated by computing areally
weighted means of all available station data.
The annual mean Antarctic temperature showed a
warming trend of 0.0291C per year for the period
1957–82, which was significant at the 95% level.
However, the greatest contribution from this temper-
ature rise came from the stations on thewestern side of
the Antarctic Peninsula.

In parallel with the warming trend there has
also been a statistically significant increase in the
number of precipitation reports at the stations on
the western side of the Peninsula. We do not know
yet whether the climatic changes observed in this area
are the result of local factors or due to broader-
scale circulation changes across the Pacific region.
However, there is no evidence that the warming is
taking place because of any ‘global warming’ associ-

ated with the increased anthropogenic emission of
greenhouse gases.

General circulation models are being used to
examine how the climate of the Earth will change
over the coming decades, and it is important to
consider how the climate of the Antarctic may change.
Although the various models all differ to some degree,
most models predict relatively modest temperature
rises around Antarctica over the next 50 years. As
temperatures rise so it is expected that there will be
increased snowfall over the continent, especially in the
coastal region, which should more than compensate
for increased melting of Antarctic ice, and will thus
partially offset the rise in sea level resulting from
thermal expansion of the oceans and melting of
icecaps and glaciers elsewhere in the world. However,
many processes occurring in the polar regions are not
well represented in climate models at present, and
further research is needed to improve our confidence in
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thesepredictions.This isparticularly true forpredictions
beyond 50 years, when Antarctica may start to warm
enough to have a significant impact on the ice sheets.
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Introduction

Anticyclones are regions of relatively high pressure on
horizontal surfaces, or high geopotential height on
isobaric surfaces, around which air circulates clock-
wise in the Northern Hemisphere and counterclock-
wise in the Southern Hemisphere. Anticyclones are
therefore characterized by negative relative vorticity
and lowbut positive absolute vorticity in theNorthern
Hemisphere, while in the Southern Hemisphere they
are distinguished by positive relative vorticity and
low but negative absolute vorticity. On sea-level
pressure or geopotential height analyses, they may be
subjectively identified by closed isobars or height
contours, whereas in vorticity analyses they may
objectively be identified by relative vorticity minima
in the Northern Hemisphere and maxima in the
Southern Hemisphere.

At sea level, anticyclones typically originate as
cold, shallow circulations that migrate Equatorward
and evolve into warm, subtropical high-pressure
systems penetrating well into the troposphere.
Aloft, anticyclones may appear at middle and high
latitudes on isobaric surfaces. From hydrostatic con-
siderations, these are relatively warm systems. Anti-
cyclones aloft are often stationary or westward
drifting and thus may block the eastward progress of
other weather systems. Anticyclonic circulations at
high latitudes may penetrate into the stratosphere
where they may be associated with sudden strato-
spheric warmings.

Although not as actively researched as cyclones,
anticyclones are important because the clear, dry
conditions usually associated with them may allow
strong nighttime radiative cooling and cold surface

temperatures. The convectively stable air of anticy-
clonesmay allowair pollutants to concentrate near the
Earth’s surface. Finally, the blocking action of anti-
cyclones aloft may cause persistently anomalous
weather conditions at the Earth’s surface.

Structure

Anticyclones may either be cold-core or warm-core
systems. An example of each type is presented in
Figure 1. Cold-core anticyclones are typically found
on the poleward side of the midlatitude baroclinic
zone. These are shallow systems with an anticyclonic
circulation confined to the lower troposphere.
The geostrophic relative vorticity (curvature in the
isobars or geopotential height contours) is anti-
cyclonic near the Earth’s surface but becomes cyclonic
(or less anticyclonic) by the middle troposphere. The
region of high sea-level pressure over south-western
Canada in Figure 1 is a cold-core anticyclone; note its
proximity to a local minimum in the 1000–500mb
thicknesswhich, hydrostatically, is proportional to the
vertically averaged temperature in the 1000–500mb
layer. This sea-level anticyclone is located between
cyclonic and anticyclonic features at the 500mb level
(Figure 2).

Warm-core anticyclones are found Equatorward of
baroclinic zones and are characterized by circulations
that remain or may become increasingly anticyclonic
from sea level to themiddle troposphere. The region of
high sea-level pressure over the Arctic in Figure 1 is a
warm-core anticyclone. Even though this system is at a
higher latitude than the cold-core anticyclone over
south-western Canada, it is characterized by higher
1000–500mb thickness (vertically averaged tempera-
ture) and it is located near a local maximum in
the thickness field. Note in Figure 2 that the sea-level
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anticyclone is located beneath a well-defined anticy-
clone (closed contours around relatively high geopo-
tential height) at the 500-mb level.

Both warm-core and cold-core anticyclones are
characterized by gently subsiding vertical motion in
the troposphere. This subsidence favors clear skies
promoting strong nighttime radiative cooling of the
Earth’s surface near the centers of these anticyclones.
The adiabatic warming of the sinking air coupledwith
radiative cooling at the surface often produces an
inversion in the vertical temperature profile; this
inversion may be eroded or destroyed by daytime
radiative heating and vertical mixing in the boundary
layer. Regardless, anticyclones are distinguished by
strong static stability.

Dynamics

Convergence of mass in the upper troposphere is the
primary mechanism responsible for the relatively high
sea-level pressure at anticyclone centers. From
considerations of gradient wind balance, this
mass convergence occurs downwind of anticyclonic
circulations, or near regions of anticyclonic vorticity
advection. The formation of new, cold-core anticy-
clones (or anticyclogenesis) is favored when this

mass convergence occurs over a lower-tropospheric
cold-air pool which, hydrostatically, would be associ-
ated with relatively high sea-level pressure. Warm
anticyclogenesis may occur if mass convergence
occurs over relatively high sea-level pressure at lower
latitudes.

More commonly, cold anticyclones evolve into
warm anticyclones as follows. The circulation
around cold anticyclones draws cold air Equatorward,
forcing the sea-level pressure to rise locally. The
anticyclone relocates towards rising sea-level pressure.
Thus, cold anticyclones usually drift Equatorward
with time.

The mass convergence over the cold anticyclone
forces air to sink through the troposphere and to
adiabatically warm. The anticyclone thus becomes
warmer over time and may eventually be located
Equatorward of the midlatitude baroclinic zone. Fric-
tionally induced mass divergence at the Earth’s surface
forces the sea-level pressure to fall at the anticyclone
center, which then weakens. The anticyclone may
reintensify as a warm system if mass convergence aloft
exceeds the lower tropospheric mass divergence near
the anticyclone center in magnitude.

Other mechanisms may contribute to anticyclone
formation and intensification. While there is usually

Figure 1 Sea-level pressure (solid contours in millibars with leading 9 or 10 omitted, at 4mb intervals) and 1000–500mb thickness

(dashed contours in dekameters, at 6 dm intervals) at 0000UTC, 16 December 2000.
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very little temperature advection in the lower tropo-
sphere over anticyclone centers, the advection of cold
air in the upper troposphere over a sea-level anticy-
clone center may contribute to its intensification.

Clear conditions near cold anticyclone centers may
result in the formation of ice fogs, and radiative heat
loss from these fogs may contribute to sea-level
pressure rises and anticyclone intensification. How-
ever, this effect is believed to be small.

Climatology

Early climatologies of weather systems were construct-
ed through manual inspection of sea-level pressure
charts and subjective identification of centers of closed
isobars. Contemporary investigations employ auto-
mated procedures to identify objectively these systems
from maxima in sea-level pressure analyses. Such

investigations reveal that, over the Northern Hemi-
sphere (Figure 3), sea-level anticyclones are most
frequently observed in a band over the midlatitude
PacificOcean, in a broadband nearNorthAmerica and
centered on the Great Lakes, and nearMongolia. Over
the Southern Hemisphere, similarly defined sea-level
anticyclones are concentrated within a midlatitude
(25–451 S) band with little longitudinal variation
(Figure 4).

In the middle troposphere over the Northern Hem-
isphere (Figure 5), anticyclones identified objectively
from maxima in geopotential height fields are most
frequently observed during the summer at low lati-
tudes, especially over continental regions. During the
winter, these systems are rare but observed occasion-
ally over high latitude oceans. These latter systems
may be associated with blocking, as discussed below.
No comparable results exist for the Southern Hemi-
sphere to date.

Figure2 The500mbgeopotential height (solid contours in dekameters, at 6 dm intervals) and temperature (dashedcontours inCelsius,

at 51C intervals) at 0000UTC, 16 December 2000.
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Blocking

Warm anticyclones that penetrate deep into the
troposphere from the Earth’s surface in midlatitudes
may, if stationary and persistent, block the normal

eastward motion of other weather systems. In order
for the blocking system to be nearly stationary and
persistent, the anticyclonic circulation aloft must be
continually maintained on its upstream flank by fluxes
of anticyclonic potential vorticity (lower tropospheric
warm air and middle tropospheric anticyclonic vorti-
city). These fluxes are provided by smaller-scale waves
approaching the blocking system. Additionally, the
strong static stability of anticyclones helps maintain
them against dissolution by convective mixing. Sink-
ing motion in the statically stable, anticyclonic environ-
ment promotes adiabatic warming and maintenance
of a deep, warm anticyclonic system.

Blocking anticyclones may be observed anywhere
and at any time, but are favored during the cool season
over the oceans, particularly the eastern oceans of the
NorthernHemisphere and the eastern PacificOcean in
the Southern Hemisphere. These locations are also
downstream of the principal storm tracks and are also
locations of climatologically preferred diffluent flow
fields in the middle troposphere. The repeated inter-
action of small-scale systems with the diffluent flow
enhances the diffluence (by making its poleward
branch more anticyclonic) until an anticyclonic circu-
lation is established aloft. Quasi-geostrophically, this
diffluence is enhanced by the local deposition of
anticyclonic potential vorticity. Equatorward of the
blocking anticyclone, the normal westerly flow may
reverse to easterlies over a considerable longitudinal
distance and for periods of a week or more. The
blocking anticyclone may even penetrate into the
stratosphere, causing a reversal of the flow there from
westerly to easterly and sudden stratospheric warm-
ings. Thus, blocking anticyclones are of considerable
scientific and practical importance.

Impact

Because they are distinguished by clear skies and
subsiding air, anticyclones are typically associated
with fair weather. A stationary and persistent anticy-
clone may produce prolonged fair and dry weather
conditions, depleting soil moisture and stressing crops
and water supplies. The strong stability of anticy-
clones may stagnate air near the Earth’s surface,
leading to enhanced concentrations of pollutants.
Clear skies near anticyclone centers favor strong
nocturnal cooling near the Earth’s surface; these
conditions during the growing season may damage
crops. The Equatorward circulation of cold air around
anticyclones may cause sudden cold-air outbreaks
over midlatitudes. The cold air associated with anti-
cyclones may become wedged or dammed against
mountain ranges, leading to freezing rain or ice if
warmmoist air is circulated over the dammed, cold air.
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Figure 3 Sea-level anticyclone track density, in number of

centers per month, in the 1980–86 analyses of the European
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Thus, while perhaps not as dramatic as cyclones,
anticyclones have their own unique and interesting
features and impacts.

See also

Cold Air Damming. Dynamic Meteorology: Potential
Vorticity. Quasi-geostrophic Theory. Static Stability.
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Introduction

Annual receipts of solar radiation at the top of the
Arctic atmosphere aremuchweaker than in equatorial
regions. Hence, the Arctic functions as the Northern
Hemisphere heat sink that establishes latitudinal
pressure gradients which drive the general circulation

of the atmosphere. Key features of the Arctic, such as
its as low mean annual air temperatures, stable
boundary layer, sea ice cover, permafrost and seasonal
snow cover, in large part result ultimately from limited
solar radiation receipts. The high albedo of the snow
and ice cover helps to maintain the Arctic in a low
energy state. Regional features of the atmospheric and
ocean circulation, surface cover and topography
modify primary latitudinal controls to result in a
wide variety of climate conditions.Owing to radiation

(A)
Winter

(B)
Spring

(C)
Summer

(D)
Fall

Figure 5 Number of twice-daily 500mb geopotential height analyses during 1963–77 with anticyclones in 21 latitude by 51 grid boxes.

(Reproduced with permission from Bell GD and Bosart LF (1989) Monthly Weather Review 117: 2142–2163. Boston: American

Meteorological Society.)

146 ARCTIC CLIMATE



feedbacks and couplings between the Arctic and
global ocean, the Arctic has gained a prominent role
in the climate change debate.

Key Physical Features

Most of the area north of 701N is occupied by the
Arctic Ocean. Except for the sector between about
201E and 201W, the ocean is surrounded by land

(Figure 1). The Arctic Ocean is hence often referred
to as aMediterranean-type sea. The dominant feature
of the ocean surface is its sea ice cover, which ranges
in areal extent from about 14.8� 106 km2 in March
to about 7.8� 106 km2 in September, but with
large seasonal and interannual variability. The ice
is typically 1–5m thick but also highly variable
(Barry et al. 1993). Most of the land surface is
snow-covered from October through May, with the
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duration of snow cover increasing with latitude. Over
the central Arctic Ocean, snow cover is generally
present for 10 months of the year. However, precip-
itation is generally scant in the Arctic. Much of the
land is classified as polar desert, often with less than
5% plant cover. In the low Arctic, the tundra
commonly includes shrub vegetation of birch and
willow. Permanent land ice is restricted primarily to
Greenland (the Greenland ice sheet) and the ice caps
and glaciers of north-eastern Canada. However, most
of the land is underlain by perennially frozen ground
(permafrost), overlain by an active layer exhibiting
seasonal thaw. Permafrost acts to keep moisture near
the surface. Many areas are covered by shallow thaw
lakes.

Atmospheric Circulation

Large-Scale Features

The primary feature of the northern high-latitude,
mid-tropospheric circulation is the polar vortex.
The vortex is strongly asymmetric during winter
(Figure 2A) with major troughs over eastern North
America and eastern Asia and a weaker trough
over western Eurasia (the Urals trough). A strong
ridge is located over western North America.
The lowest winter pressure heights are located over
northern Canada. These features are related to
orography, land–ocean distribution and radiative
forcing. The polar vortex weakens during summer
and is more symmetric than its winter counterpart
(Figure 2B).

The dominant sea level features of the mean winter
circulation (Figure 3A) are the Icelandic Low off the
southeast coast of Greenland, the Aleutian Low in the
north Pacific basin, and the Siberian high over central
Eurasia. The Icelandic and Aleutian lows are main-
tained by low-level thermal effects of the compara-
tively warm underlying ocean, position downstream
of the major mid-tropospheric stationary troughs
where eddy activity is favored and regional cyclone
development processes. The Siberian High is a cold,
shallow feature, driven largely by long-wave radiative
cooling. The Icelandic and Aleutian lows are much
weaker during summer (Figure 3B). Summer also sees
replacement of the Siberian High by mean low
pressure. A weak high pressure cell is found in the
Beaufort Sea. An area of mean low pressure is also
found near the pole.

Extratropical Cyclone Activity and Polar Lows

In accord with the mid-tropospheric steering currents
(Figure 2A), winter cyclone activity is most prominent
over the Atlantic side of the Arctic (Figure 4A).

Cyclones in this area take a northerly to easterly track,
and collectively represent part of the North Atlantic
cyclone track. Activity peaks in the vicinity of the
Icelandic Low.This is a region of frequent cyclogenesis
and strong cyclone deepening rates. Development is
enhanced because of contrasts between the warm,
northward-flowing North Atlantic drift current and
the cold, southward-flowing East Greenland current,
proximity to the sea ice margin, and vorticity produc-
tion on the lee of the Greenland ice sheet. The North
Atlantic track is weaker in summer, but cyclone acti-
vity increases over land (Figure 4B). Summer cyclo-
genesis occurs in preferred regions over east central
Eurasia and over Alaska and extending south-east.
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A summer cyclone maximum is also found over the
central Arctic Ocean. This feature arises largely from
the migration and subsequent occlusion of systems
generated over Eurasia and along the weakened
North Atlantic track. Serreze (1995) provides further
reading.

Polar lows are mesoscale systems that form within
or at the leading edge of polar airstreams. They are
commonly found in the Arctic peripheral seas during
the winter season. Polar lows are typically less than
500 km in diameter. They may intensify rapidly and
surface winds speeds can reach hurricane force
(Businger and Reed 1989).

Frontal Activity

Early Canadian analysis schemes adopted a three-
front model of the westerlies, with the northernmost
representing Arctic fronts, hence separating Arctic
from polar air masses. More recent studies based on
aircraft data collected during the winter season
present clear evidence of separate Arctic jet streams
withwell-defined tropopause folds (as diagnosed from
potential vorticity) between the lower (approximately
5 km) Arctic tropopause to the north and the higher
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(7 km) polar tropopause to the south (Shapiro et al.
1987).

The concept of preferred geographical regions of
frontal activity in northern high latitudes emerging as
distinct from frontal activity in middle latitudes
(termed the ‘Arctic Frontal Zone’) has a long history.
A maximum in frontal frequencies is found during
summer along northern Eurasia from about 601 to
701N, best expressed over the eastern half of the
continent. A similar relative maximum is found over
Alaska, which although best expressed in summer is
present year-round. These features are clearly separate
from the polar frontal zone in the middle latitudes of
the Pacific basin. While some separation between
high- and middle-latitude frontal activity is observed
in every season, the summer is distinguished by the
development of a mean baroclinic zone aligned along
the Arctic Ocean coastline and associated wind
maxima in the upper troposphere. While it has been
postulated that the frontal zone arises from contrasts
in energy balance between the tundra and boreal
forest, it appears that coastal baroclinicity and focus-
ing of the baroclinicity by orography play stronger
roles. Regions of maximum summer frontal frequency
correspond to preferred areas of summer cyclogenesis
over Eurasia and Alaska (Serreze et al. 2001).

Surface Energy Budget

Figure 5 shows typicalmonthly values of radiative flux
components for the central Arctic Ocean. The outgo-
ing long-wave flux from the surface decreases from
about 320Wm� 2 in summer (when the sea ice surface
is melting) to about 200Wm� 2 in winter. The incom-
ing long-wave flux varies between 160Wm�2 in
winter to 300Wm� 2 in July. For all months, the net
long-wave flux is directed away from the surface. The
downwelling short-wave flux is zero during winter,
rising to about 300Wm�2 in June. Because of the high
surface albedo (exceeding 0.80 when covered with
fresh snow), comparatively little of the solar flux is
absorbed by the surface. A fraction of the incoming
solar radiation (typically 15%) penetrates into the
snow and ice. Net radiation is directed away from the
surface from October through March and peaks in
June at about 80Wm� 2. During winter there is a
conductive heat flux through the ice to the surface. On
an annual basis, the sensible and latent heat fluxes
together account for 20–50% of the net radiation.
During summer, most of the net radiation is used to
melt snowand ice. Locally, over areas of openwater or
thin ice where strong temperature gradients are
formed in the boundary layer, winter sensible heat
fluxes may reach 600Wm�2. Condensate plumes

emanating from wide (410 km) open water areas
(leads and polynyas) that extend to 4 km in the
atmosphere have been observed (Barry et al. 1993).

The fundamental difference between the surface
energy budgets of the Arctic Ocean, glaciers and
tundra is the portion energy used tomelt snow and ice.
Once the snow is melted from the tundra, energy can
be used in sensible heating and to evaporatewater. The
consumption of heat through melt on the ocean and
glaciers is about 4–6 times larger than on the tundra.
Consequently, sensible heat is transferred from the
atmosphere to the surface of the oceans and glaciers,
while it is carried from the surface to the atmosphere in
the tundra. Evaporation is, on average, the most
significant heat sink on tundra, and is considerably
larger than on the ocean and glaciers (Ohmura 1984).

A key control on Arctic surface energy budgets is
cloud cover. Winter cloud fractions range from 40 to
70%, greatest over the Atlantic side. Total cloud
fractions rise to 70–90% in summer. There is a rapid
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increase between April and May, characterized by the
development of extensive low-level stratus over the
ocean. Formost of the year, the cloud radiative forcing
is positive, meaning that clouds have a warming effect
at the surface. The sign and magnitude of the cloud
radiative forcing depends on the solar flux above the
clouds, cloud albedo, optical thickness and tempera-
ture, surface albedo, and multiple reflections between
the surface and cloud base. Curry et al. (1996) reviews
Arctic cloud characteristics, radiative forcing, and
feedback processes.

Air Temperature and Boundary Layer

The winter surface air temperature field is strongly
controlled by downwelling long-wave radiation.
However, as seen in Figure 6A, winter surface air
temperatures decrease sharply from the northern
North Atlantic to the central ArcticOcean. The higher
temperatures over the Atlantic sector arise from ocean
heat fluxes (which keep the region free of sea ice),
extensive cloud cover, and horizontal atmospheric
heat transports associated with the North Atlantic
cyclone track. The lowest winter air temperatures are
found over east-central Eurasia in associationwith the
Siberian high.Heat fluxes through areas of openwater
and thin ice result in comparatively higher tempera-
tures over the central ArcticOcean. Low temperatures
over Greenland reflect elevation. Summer air temper-
atures exhibit a much more zonal distribution (Figure
6B). Because of the melting sea ice cover, summer
temperatures over the Arctic Ocean are close to zero.
Higher temperatures over land reflect lower latitude
and sensible heating of the snow-free surface.Note the
strong temperature gradients along the coastline.

Winter radiation deficits give rise to strong surface-
based temperature inversions (Kahl 1990). Away from
the moderating effects of the Atlantic sector, winter
inversions are typically 1000m deep, with a temper-
ature difference across the inversion layer of 10–121C.
Inversion depth and strength vary widely, however, in
response to local topographic conditions, winds, and
cloud cover. Inversions over the central Arctic ocean
tend to be weaker than over land owing to heat fluxes
through areas of open water and thin ice. Inversions
are also common in summer, although they areweaker
than their winter counterparts and are typically
separated from the surface by a mixed layer.

Hydrologic Budget

Precipitation and Precipitation Minus Evaporation
(P � E)

Precipitation in the Arctic is difficult to measure be-
cause of gauge undercatch of blowing snow, changes

in instrument types and reporting practices, and the
sparse precipitation monitoring network. Figure 7
shows the distribution of annual precipitation based
on a gridded climatology that compiles data from
several sources. The highest totals are found off the
south-east coast of Greenland (locally 42400mm),
with amounts decreasing north-east to about 400mm
in the Kara Sea. This pattern manifests the pattern of
cyclone activity shown in Figure 2A. High totals are
also found over southern Alaska. The lowest annual
totals (o200mm) are found over the Beaufort Sea and
northern Canada. The winter pattern is qualitatively
similar to that seen in the annual mean. For example,
January precipitation ranges from over 200mm in the
northern North Atlantic to less than 10mm over
northern Canada and east-central Eurasia. The Atlan-
tic side maximum largely disappears in summer.
Precipitation is more uniform across the Arctic, with
markedly higher totals as compared with winter over
land areas. This is consistent with seasonal changes in
synoptic activity (Figure 2B). Convective precipitation
is not unknown over Arctic land areas during summer.

Winter precipitation is largely stored in the snow-
pack. Maximum spring snow depths are highly
variable due to differences in precipitation, tempera-
ture, topographic setting and redistribution by wind.
Values of 20–50 cm over the Arctic Ocean and
40–70 cm over the subarctic can be considered typical.
Mean hydrographs for Arctic rivers exhibit a late
spring to early summerpeak indischarge due tomelt of
the snow pack.

Direct estimates of evaporation are very scanty.
However, large-scale estimates of precipitation minus
evaporation ðP� EÞ (net precipitation) can be ob-
tained through evaluation of the atmospheric vapor
flux convergence (Cullather et al. 2000). Estimated
mean annualP� E (Figure 8) is typically 150–300mm
over land, 200mm over the central Arctic Ocean and
over 1000mm in the vicinity of the Icelandic Low.
Although precipitation over much of the land area
peaks in summer, P� E for this season (not shown)
tends to be small or even negative, pointing to
significant regional recycling of water vapor.

Freshwater Budget and Circulation of the
Arctic Ocean

TheArcticOcean is unique in receiving discharge from
four of theworld’smajor rivers (theOb, Yenisei, Lena,
and Mackenzie). River discharge contributes about
360mm of fresh water to the Arctic Ocean annually.
Along with the inflow of ocean water through the
Bering Strait and P� E over the Arctic Ocean itself,
river discharge helps to maintain a relatively fresh
surface layer. This layer extends down to about 200m,
and is often well mixed down to about 50m.
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Relatively warmwaters of Atlantic origin are found at
depths between 200 and 900m, which if brought to
the surface would quickly melt the sea ice cover.
However, at low water temperatures of the Arctic
Ocean, the density structure is determined by salinity.
Hence the fresh surface layer suppresses vertical

mixing with the Atlantic layer, allowing sea ice to
form readily in winter and inhibiting melt during
summer.

The large-scalemeanannual drift of the sea ice cover
is characterized by the clockwise Beaufort Gyre,
centered in the Canada Basin, and a mean drift of ice
from the Siberian coast, across the pole and through
Fram Strait, known as the Transpolar Drift Stream.
This pattern reflects roughly equal contributions by
winds and surface currents, the latter ultimately wind
driven to a large extent. The mean annual sea ice
circulation hence bears a strong resemblance to the
mean annual sea level circulation of the atmosphere
(Figure 9). Fresh water exported out of the Arctic
Ocean, largely via Fram Strait in the form of low-
salinity sea ice and liquid water, is believed to impact
on the overturning cell of the global ocean through
influencing convection in the subarctic gyres which in
turn feed the North Atlantic (Lewis 2000).

Variability and Change in Arctic
Climate

Arctic climate exhibits pronounced variability on
interannual to decadal scales. A major source of
variability is associated with the North Atlantic
Oscillation (NAO), which describes mutual strength-
ening and weakening of the Azores High and the
Icelandic Low. The NAO has concentrations of
power at 24, 8, and 2.1 years and also has a
multidecadal signal. Under the positive mode of the
NAO (a deep Icelandic Low), positive temperature
anomalies are found over the western Eurasian Arctic
with negative anomalies over north-eastern Canada
and the northern North Atlantic. In turn, the North
Atlantic cyclone track extends deeper into the Arctic
Ocean. Roughly opposing anomalies are associated
with negative NAO states. More recently, attention
has been paid to the ‘Arctic Oscillation’ or AO, which
represents the leading empirical orthogonal function
of monthly sea-level pressure anomalies poleward of
201N (Thompson and Wallace 1998). Pressure vari-
ability associated with the AO is characterized by a
primary center of action over the Arctic Ocean and
opposing anomalies in midlatitudes of the Pacific and
Atlantic basins. The AO signal represents a strength-
ening and weakening of the polar vortex. Time series
of the AO and NAO are highly correlated, and
the exact relationship between these teleconnections
is being debated. Arctic climate variability is also
linked to the El Niño Southern Oscillation (ENSO),
particularly as it relates to variability in the strength
and location of the Aleutian Low, as well as
other teleconnections, such as the North Pacific
Oscillation (NPO).
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There has been pronounced change in the northern
high-latitude environment from the 1970s through the
1990s, in part linked to generally positive phases of the
AO and NAO. This includes winter and spring
warming over both continents (partly compensated
by cooling over the northern North Atlantic). Warm-
ing is also evident over the central ArcticOcean. There
has been a downward tendency in sea ice extent and
thickness and increased areal extent of the Arctic
Ocean’s Atlantic layer. Negative snow cover anoma-
lies have dominated over both continents since the late
1980s and terrestrial precipitation has increased in
some areas. Small Arctic glaciers have exhibited
generally negative mass balances. While permafrost
has warmed in Alaska and Russia, it has cooled in

eastern Canada (Serreze et al. 2000). Paleoclimate
evidence suggests that Arctic temperatures of the late
twentieth century are the highest of the past 400 years
(Overpeck et al. 1997).

General circulation models predict that the effects
of anthropogenic greenhouse warming will be ampli-
fied in the Arctic owing to feedbacks in which
variations in snow and sea ice extent, the stability of
the lower troposphere, and thawing of permafrost
play key roles. However, regional patterns of Arctic
warming differ greatly among simulations. Projected
warming is greatest for late autumnandwinter, largely
because of the delayed onset of sea ice and snow cover.
Retreat of snow cover and sea ice is accompanied by
increased winter precipitation.
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Introduction

Arctic haze is composed of aerosol and gas pollution
that builds up in the lower atmosphere across the
arctic regions in late winter and spring. Arctic haze is
derived from industrial by-products from continental
regions surrounding the arctic basin. The gas and
aerosol material constituting arctic haze congregates
mainly within the meteorological boundaries of the
arctic front, a system surrounding the North Pole,
reaching its southernmost extent in latewinter.During
late winter the system of arctic haze is roughly as large
in areal extent (the region encircled in Figure 1) as the
African continent. During its late winter maximum
intensity, the ‘haze’ is visible to the eye, especially
when viewed edgewise from an aircraft. The haze
reduces direct solar radiation at the surface, whitens
the sky and causes slight warming of the Earth–
atmosphere system. The haze is pollution transported
to the Arctic over spatial scales of several thousands of
kilometers.

The haze was first noted by Murray Mitchell Jr, in
1956, when flying on ‘Ptarmigan’ weather reconnais-

sance missions in the Arctic. Mitchell recognized that
the constituents were probably of the same order or
possibly smaller than the wavelength of visible light.
He speculated that the origin of the unknown haze
particles might be quite distant since small sub-
micrometer particles have long lifetimes in the
atmosphere.The note thatMitchell published received
little recognition at the time.

Investigations of chemical composition and optical
properties of arctic haze were conducted in the early
1970s. Planning strategies that resulted from an
informal symposium on arctic aerosols held in Nor-
way in 1977 initiated investigations into arctic air
pollution and led to the recognition of an arctic-wide
pollution phenomenon. The general picture of arctic
haze being pervasive, extensive and caused by
circumpolar industrial emission unfolded during
research carried out in the 1970s and 1980s.

If one considers the geographic location of pollution
sources and the nature of atmospheric circulation at
high latitudes (see the next section), it is quite apparent
(Figure 1) that northernEurasian pollution sources are
likely to contribute larger amounts of pollution to the
Arctic than from North America.

The lack of sunlight, coupledwith the snow-covered
surface that reflects what little sunlight there is back to
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space, results in especially strong cooling of the surface
layers and buildup of surface-based temperature
inversions. Mixing is greatly inhibited under such
circumstances. In much of the arctic basin, most
especially around the Siberian High, cloudiness is thin
and sparse.These factors enhance the residence timeof
pollutants in the Arctic. It is mostly because of the
increase in residence time, rather than simply large
masses of injected pollutants, that the arctic atmo-
sphere becomes generally contaminated (Figure 2).

Seasonal andGeographic Variations of
the Arctic Haze and Meteorological
Transport

In winter, the arctic air mass extends throughout the
high Arctic and extends down over Eurasia andNorth
America. Arctic haze has been described as having a
‘dome’ 7–8 km deep over the pole with shallow
tongues of air 0–5 km deep spilling southward over
the land masses. This air mass is statically stable
because of the strong temperature inversions and has
relatively small liquid cloud water or ice content.
During summer, cloud cover is extensive throughout
the arctic basin. The uniform cloud deck forms when
warm air flows over cold icepack; it is often associated
with drizzle. The summer arctic stratus is one of the
most pervasive and persistent cloud systems on the

planet. The turnover and almost constant drizzle is
instrumental in cleansing the arctic atmosphere,
reducing concentrations of arctic haze to insignificant
levels. As a result, the concentration of arctic haze
undergoes a strong seasonal variation with maximum
in winter and minimum in summer. This ‘arctic air
mass’ picture provides a rough understanding of the
more persistent and larger features of arctic air
pollution.

By correlating synoptic meteorological patterns
with episodes of arctic haze, it was concluded that
there is often a close connection between outbreaks of
arctic haze and transport along or within anticyclonic
pathways in the atmosphere. North American sources
evidently contribute only in a minor way to the arctic
pollution burden. Polluted airmasses originating from
the east coastal region ofNorthAmerica usually travel
east across the Atlantic Ocean and experience rapid
removal by storms within the Icelandic cyclone
system.

Air trajectories associated with flow across the
arctic basin are frequently associated with pollution
episodes. During such instances, transport is often
controlled by themid-northern Eurasian high, extend-
ing over Kamchatka and another cell over the Alaska
area, or steered by cyclonic systems in the Barents Sea.

Studies of the meteorological patterns indicate that
transport of arctic haze is associated with a quasi-
stationary ‘blocking’ pattern in the atmosphere. This
has been proposed to be a fundamental mechanism
that provides conditions for poleward transport of

Figure1 Annual emissionsof sulfur dioxide (in units ofmillions of

metric tons) in the high latitudeNorthernHemisphere that influence

the Arctic. (Map courtesy of Leonard Barrie.)
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midlatitudinal air pollution, particularly in the Eur-
opean sector. The seasonal variation of such blocking
seems to be an important factor, alongwith scavenging
and other removal processes, for understanding the
annual cycle of the arctic air pollution.

The isentropic dome of cold air centered roughly
over the north pole helps explain the many elevated
layers seen in arctic haze. The large static stability
inhibits vertical mixing of the material throughout the
troposphere. Also, the ‘dome’ causes midlatitude
ground-based pollutants to ascend adiabatically as
winds carry them poleward into the arctic basin.

The map of annual emissions of sulfur dioxide
with superimposed arctic air mass (Figure 1) helps
identify the major sources and currents of pollution-
derived material affecting the Arctic. Thus, on the
basis of the relatively strong source region in the
central andwestern Eurasia sector, the occurrence of a
deep lobe of the arctic air mass over much of this
source, the occurrence of a poleward flowing circula-
tion over this source area, and the absence of
precipitation, clouds and turbulence along the path-
way, one can conclude that Eurasia is of greater
importance thanNorth America as a source region for
the Arctic haze.

In the past decade or so, the occurrence of arctic
haze has become weaker and less frequent, perhaps
due to breakup of the Soviet Union and associated
decrease in heavy industrial emissions, though sys-
tematic changes inmeteorological patternsmayalso be
involved.

Chemistry of the Arctic Haze

Samples of aerosol were collected in various arctic air
masses in the 1970s and analyzed for their chemical
composition in the hope that the origin of the hazy
layersmight become clear.Although sulfate dominates
aerosol chemistry, the haze contains trace amounts of
heavy metals, some of which suggest industrial
pollution sources.

The chemical sampling also uncovered strong
seasonal variation (discussed in the last section),
with maximum occurrence of the arctic haze in the
late winter and early spring. Figure 3 shows the strong
seasonal variation of sulfate aerosol concentration as
sampled in the Canadian Arctic.

The largest fractionof the arctic haze is sulfate.Note
from Figure 1 that the Eurasian sulfur dioxide
emissions in areas liable to influence the Arctic are
about a factor of 2–4 times larger than for North
America. Note also that the major Eurasian sulfur
dioxide emission sources are 5–101 higher in latitude
in comparison to those in North America. This, along
with the fact that the arctic air mass lobes down

strongly over Eurasia, suggests major contribution to
arctic haze from Eurasian sources.

The origin of the arctic haze was determined to be
Eurasian using a chemical fingerprint based on the
ratio of vanadium to manganese concentrations in the
collected filtered samples of the arctic haze. This
simple tracer system immediately suggested that the
greatest fraction of arctic haze aerosol derived from
Eurasian industrial sources, especially in the eastern
sectors. The reason is that the former Soviet Union and
eastern European nations are coal burning societies,
while thewestern nations are heavy users of petroleum
products, laced with vanadium used as catalyst in the
cracking process. The arctic haze value of V/Mn was
very low, consistent with a coal burning source.
Concentrations of black carbon were also elevated,
consistent with the dirtier combustion that takes place
in inefficient coal power plants of the type used in the
former Soviet Union. It is quite interesting to see that
the essential picture about the sources and transport
mechanisms for the arctic haze was recognized quite
clearly during the 1970s.During later aircraftmissions
conducted by NOAA (the AGASP missions, Arctic
Gas and Aerosol Sampling Program), the arctic haze
was sampled directly and the concentrations and
compositions of a number of minor constituents were
determined. Again, sulfur in the form of sulfate was
the predominant chemical compound in the arctic
haze, even at the higher altitudes.

More elaboratemultivariate analysis of heavymetal
composition of the arctic haze aerosol confirmed that
the greatest fractionof the arctic haze indeedoriginates
in Eurasia. These deductions were in large part made
from wide and generous sharing of data among the
circumpolar nations in an informal ‘network’. By the
mid-1980s, chemical fingerprinting methods had
determined that Eurasia and North America were the
first and second primary source regions for the general
pollution phenomenon in the Arctic.
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More recent investigations combined back wind
meteorological trajectory models with geographic
information and inventories of chemical emissions.
With the use of such models one can deduce
partitioning of the source regions for the differing
chemical species, although it has to be kept in mind
that the accuracy suffers since the network of synoptic
stations in the Arctic is sparse. Such investigations
have indicated that a number of geographic locations
in Eurasia have high potential as major emission
sources. It was found that a Ni–Cu smelting complex
atNorislk is probably one of themajor contributors to
the haze.

Arctic haze in mid-winter mainly consists of
sulfur dioxide. At that time the polar atmosphere
is a large chemical reactor. The gaseous form
converts to particulate sulfates when the sun rises in
spring.

More than sulfur-containing particles and heavy
metals reach the Arctic. Organic compounds such as
polychlorinated aromatics and pesticides have been
measured in arctic air pollution.

Residence Time for Arctic Air Pollution

During the early investigations of the arctic haze
phenomenon, in the 1970s, scientists were hampered
by the erroneous, but pervasive, belief that aerosol
pollution is confined to regional scales up to a few
hundred kilometers at most. It was then clear that
under conditions of great atmospheric stability and
lowwater content, the residence time for aerosols and
the corresponding air parcel travel distance increase
dramatically. The majority of air pollution studies in
the 1960s and1970s had concluded that the lifetime of
atmospheric aerosols is short, being only a few days.
This assumption breaks down in the polar regions
since particles may remain airborne for weeks in the
stable arctic air.

Two notable exceptions to the rule of ‘a few days
residence time’ for aerosols had, however, been
recognized for a long time. One was the phenomenon
of stratospheric haze from explosive volcanic erup-
tions, which is known to have lifetimes of several
years. The other was the long-range transport of
windblown dust from deserts. We now believe arctic
haze to have an average lifetime shorter than strato-
spheric dust veils, but comparable to long-distance
transport of desert dust outbreaks, which also occur in
dry air masses.

The connection between arctic haze and anti-
cyclonic conditions, which was mentioned earlier,
suggests that one reason why haze lasts so long is
partly due to lowered exposure to rain and snow
cleansing mechanisms.

Optical Transparency and Climatic
Effects

In the early 1970s, unexpectedly high values for
atmospheric turbidity were reported at the McCall
Glacier in the Brooks Range in Alaska. In trying to
understand the physical cause of the high turbidity,
additional measurements were made of the wave-
length dependence of optical extinction caused by the
haze and the angular distribution of sky brightness.
These measurements confirmed Mitchell’s earlier
suspicions that the winter arctic haze consistedmainly
of small aerosols. During the early 1970s, arctic haze
over Alaska was found to be layered by flying a sun
photometer aboard a light (Cessna) aircraft. The
AGASP experiments of the 1980s demonstrated that
the layers consist of aerosol particles that can have
climatic effects by interacting with the solar radiation
field all across the Arctic. It was later determined that
in addition to the submicrometer haze, there is often
another source of haziness in the Arctic from
precipitations of ice crystals, which sometimes form
in clear air. Such ‘diamond dust’, so called because of
its sparkling appearance, can also reduce visibility and
interact with the radiation field.

Scattering and absorption of sunlight by arctic haze
was shown to have a slight warming effect on the
Earth–atmosphere column, of magnitude about 0.11C
per day, because carbonaceous material lowers
albedo. There is estimated to be a slight cooling at
the surface caused by scattering of light. In the winter
months there may be a slight warming of the arctic
atmosphere caused by the interaction of the aerosol
with outgoing infrared radiation.

However, in addition to slight climate effects caused
by absorption and scattering of light by the arctic haze
aerosols, there may be subtle and so far not well
evaluated influences on climate from indirect radiative
effects. These may result from the modification of
cloud parameters, since the arctic haze introduces new
sources of cloud condensation nuclei and, possibly,
new sources of freezing nuclei into the arctic basin.

Ecological Implications

Compounds such as pesticides, PCBs, persistent
organics, as well as trace metals are detected through-
out the arctic basin in the atmosphere and also in the
surface land and sea domains and scattered through-
out the region’s biome. Most of the atmospheric
pollution and some of the surface and biological
pollution is undoubtedly caused from the arctic haze
phenomena. But it should also be recognized that in
places in the Arctic the surface concentrations of
pollutants can be extremely small, even during times
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when the air is quite contaminated. This of course is
due to the long residence time of the haze.

In addition to simple transport of material through
the atmosphere, another depositional mechanism was
suggested that involves a fractional distillation. The
surprisingly high concentration of organic material is
determined in part by the temperature-dependent
partitioning of the low volatility compounds. A
process of global fractionation may be occurring,
during which time organic compounds become
latitudinally fractionated, condensing at different
ambient temperatures depending on their volatility.
Substances with low vapor pressure preferentially
accumulate in the polar regions, much like deposition
of vapor products on cold regions in vacuum systems.

Aerosols and gases are scrubbed out of the atmo-
sphere in precipitating air masses. Many of these are
over oceanic regions in the North Atlantic, the

Norwegian Sea and possibly in the Bering Sea. These
are important world fisheries and the consequences of
dumping industrial pollutants that had congregated in
the arctic atmosphere are unknown.
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Introduction

Atmospheric tides are ubiquitous features of the
Earth’s atmosphere. They are the persistent global
oscillations that are observed in all types of atmos-
pheric fields, including wind, temperature, pressure,
density, and geopotential height. Tidal oscillations
have periods that are some integer fraction of a solar or
lunar day.The solar diurnal and semidiurnal tides have

24 h and 12 h periods, respectively. The lunar diurnal
tidal period is about 24.8 h, while the lunar semidiur-
nal period is 12.4 h. Scientists often use a shorthand
notation to represent solar and lunar tides. S1 and S2
refer respectively to the solar diurnal and semidiurnal
tides. Their lunar counterparts are M1 and M2.

Atmospheric tides have been studied for many
years, since they are evident in both surface pressure
and magnetic observations that date back to the early
part of the twentieth century.Figure 1 illustrates a time
series of surface pressure measurements made at
Batavia (now known as Jakarta, Indonesia) during
the first 5 days of January in 1925. The dominant
feature of this time series provides evidence of the solar
semidiurnal atmospheric tide. Specifically, there is a
1–2 hPa deviation from the average pressure of about
1011 hPa that occurs regularly at 12 h intervals. This
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Figure 1 Surface pressure (hPa) at Batavia (Jakarta, Indonesia) against time during the first 5 days of January 1925.
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semidiurnal variation is modulated by other varia-
tions, but the former is such a persistent oscillation
that the semidiurnal tide is also the dominant oscilla-
tion inmonthly, yearly, and evenmultiyear averages of
daily surface pressure measurements made at Batavia.

Atmospheric tides are further characterized by their
sources. The Moon’s gravity forces the lunar atmos-
pheric tide, while solar atmospheric tides can be
excited in several ways, including the absorption of
solar radiation, large-scale latent heat release associ-
ated with deep convective clouds in the troposphere,
and the gravitational pull of the Sun. The restoring
force that acts on atmospheric tides is gravity, so tides
are a special class of buoyancy or gravity waves.
Unlike other gravity waves, tides are affected by the
Earth’s rotation and sphericity because of their com-
paratively large periodicities and horizontal scales.

The general mathematical expression for a tidal
oscillation is givenby eqn [1],whereA is themagnitude
of the variation in some atmospheric field, s is its
frequency, t is universal time; l is longitude, and s is the
zonal wavenumber. The magnitude of s represents the
number of wave crests that occur along a latitude
circle, while the sign of s is indicative of the zonal
direction of propagation.f is the so-called tidal phase.
A crest of the wave occurs when f satisfies eqn [2].

A cosðst � sl� fÞ ½1�

f ¼ st � sl ½2�
The horizontal phase speed of the tide, cph, is defined
by differentiating eqn [2] and holdingf constant (eqns
[3] and [4]).

sdt � sdl ¼ 0 ½3�

cph � dl
dt

¼ s
s

½4�

s >0 corresponds to eastward tidal propagation, and
so0 corresponds to westward tidal propagation.

For solar tides, the nth harmonic frequency is
sn ¼ ns1, where n is a positive integer and s1 ¼
ð2p=24Þ h�1. Rewriting the mathematical expression
for a tide in terms of local solar time (hours),
tL ¼ t þ l=s1, results in a mathematical expression
of the form of eqn [5].

A cosðsntL � ðsþ nÞl� fÞ ½5�
For the subset of atmospheric tides known as migra-
ting solar tides, s ¼ �n and eqn [5] reduces to eqn [6].

A cosðsntL � fÞ ½6�
Thus, migrating solar tides have the same local time
variation at all longitudes. If n ¼ 1 and s ¼ �1, the

tide is diurnal and moves or migrates westward in
longitude with the apparent motion of the Sun from
the perspective of a ground-based observer. Further,
cph ¼ �ð2p=24Þ h�1. Similarly, if n ¼ 2 and s ¼ �2,
then the wave is a migrating semidiurnal tide. The
remaining set of global scale waves with tidal periods
that are not Sun-synchronous are known as non-
migrating tides. Nonmigrating tides may be viewed as
waves that propagate to the west more rapidly or
slowly than the Sun, or that propagate eastward, or
that are standing.

All tides contain components that propagate in the
vertical direction. The effects of upward-propagating
tidal components are particularly important because
thesewaves grow in amplitude as they conserve energy
in an atmosphere whose density decreases with
increasing altitude. Thus, tides with insignificant
amplitudes in their lower atmospheric regions of
excitation often affect the upper atmosphere pro-
foundly because they introduce large atmospheric
variations with local time and because they may
dissipate and deposit their energy and momentum
therein.

Migrating Solar Tides

The absorption of radiation by a longitudinally
invariant atmosphere is the primary source of migrat-
ing solar tides. Owing to the rotation of the Earth, this
absorption is periodic in time from the perspective of
the ground-based observer. The resultant heating gives
rise to migrating tidal oscillations. Solar radiation is
absorbed throughout the Earth’s atmosphere, thereby
exciting migrating solar tides at almost all altitudes.
Atomic oxygen, which is the most abundant atmos-
pheric constituent at altitudes about 150 km above the
Earth’s surface, absorbs the shortest-wavelength solar
radiation, known as the extreme ultraviolet. Increas-
ingly longer wavelengths are absorbed as the solar
radiation approaches the Earth’s surface. Molecular
oxygen, (O2) absorbs the far-ultraviolet radiation
(100–200 nm) at altitudes near about 100–150 km,
and ozone (O3) absorbs the 200–300nm solar ultra-
violet radiation at middle atmospheric altitudes be-
tween about 30 and 70 km. Solar infrared radiation
may be absorbed by water vapor, (H2O) in the lowest
part of the atmosphere.

Even though there is little, if any, tidal forcing due to
solar heating in the upper mesosphere (B80–100 km),
measurements of winds and temperatures exhibit
strong tidal signatures in this region. Figure 2 illus-
trates an example of the magnitude of the mean winds
and the tidal oscillations over Adelaide, Australia at
these altitudes. The data points represent the eastward
winds that were measured with the Buckland Park
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radar during two days in August 1994. The dashed
curves illustrate global-scale wave model (GSWM)
tidal predictions for August at the location of Adel-
aide.While the GSWMdiffers from themeasurements
in detail, the model captures the salient features of the
observed winds, particularly on 8 August. Differences
may be attributable to small-scale waves that are not
included in GSWM or to sources of day-to-day tidal
variability that are also omitted.

The GSWM predictions include mean winds
(17–18m s� 1) and both migrating diurnal and semi-
diurnal components. Notably, the migrating diurnal
amplitudes (20–30m s�1) are larger than the mean
winds. The GSWM diurnal tidal amplitudes are at
least a factor of 2 larger that the semidiurnal ampli-
tudes (8–15m s�1) and the phases of both compo-
nents shift to earlier times with increasing altitude
between 90 and 98 km. This behavior, which is known
as downward phase progression, is indicative of
upward-propagating wave energy. There are clear
signatures of downward phase progression in the
GSWM predictions in Figure 2. That is, the wind
predictions are most westward near 15.00 hours at
98 km and there are similar features at progressively
later times and progressively lower altitudes. The
vertical wavelength of the migrating diurnal tide over
Adelaide is much shorter than that of the migrating
semidiurnal tide, so the phase of the former progresses
far more rapidly than the latter phase and their
combined effects result in a pattern of wave maxima
and minima that evolves between altitudes.

The migrating diurnal tide originates primarily in
the troposphere. Although tropospheric semidiurnal
forcing is nonnegligible, there is comparatively more

semidiurnal forcing in the middle atmosphere. Thus,
the diurnal tidal growth occurs over a deeper altitude
region than the semidiurnal growth and it is reason-
able to anticipate a diurnal amplitude that is larger
than the semidiurnal amplitude in the upper meso-
sphere. The aggregate characteristics of the mean
winds and tides that are illustrated in Figure 2 support
the claim that upward-propagating migrating tides
govern the large-scale dynamics of the upper meso-
sphere.

Migrating tides exhibit somewhat complicated
behavior in that the latitudinal structure of the
horizontal wind oscillations is dramatically different
from the temperature, pressure, or vertical velocity
structure. For example, the upward-propagating mi-
grating diurnal tide is characterized by a primary
temperature amplitude maximum over the Equator
with secondary maxima near 7301. The horizontal
wind amplitudes exhibit minima over the Equator and
nearly symmetric amplitude peaks at low to middle
latitudes (7(20–301)). While ground-based observa-
tions provide an important perspective on the local
behavior of waves with tidal frequencies, it is impos-
sible to decipher global structures from local struc-
tures without conducting correlative analysis of
measurements made at multiple locations over a
broad range of latitudes. Further, in order to distin-
guish migrating from nonmigrating tidal components,
it is necessary to have a longitudinal distribution of
measurements.

Nonmigrating Tides

Near the surface of the Earth the strong longitudinal
differences in topography, land–sea contrast, and
surface interactions produce zonal variations in the
local time behavior of the atmosphere and thus excite
nonmigrating tides. Figure 3 provides a good example.
It illustrates the latitude–longitude distributions of the
annual-average semidiurnal (a) and diurnal (b) surface
pressure amplitudes derived from a global array of
measurements. Both components aremaximumat low
latitudes where the absorption of solar radiation is
greatest. The semidiurnal surface pressure oscillation,
S2(p) is more uniformwith respect to longitude, while
the diurnal amplitudes, S1(p), are primarily restricted
to landmasses. The S2(p) behavior is dominated by the
migrating (s ¼ �2) response, while the S1(p) behavior
reflects the importance of sensible heating from the
ground. (Note that if S2(p) were solely due to a
migrating semidiurnal tide, Figure 3would consist of a
series of horizontal lines.) The S2(p) and S1(p)
amplitudes are comparable over land and vary be-
tween about 80 and 140 Pa (8 and 14 dPa). S2(p)
dominates over the oceans at latitudes lower than 301.
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A significant fraction of S2(p) is due to a migrating
semidiurnal component that is excited by absorption
of ultraviolet radiation by ozone at higher altitudes
(B30–70 km) and propagates down to the surface.
The corresponding migrating diurnal component is
excited less efficiently aloft because of its shorter
vertical wavelength, which explains the significant
amplitude of S2(p) relative to S1(p) and its relative
longitudinal uniformity.

Through Fourier analysis the longitude variations
depicted in Figure 3 may be decomposed into a series
of wave components with different zonal wavenum-
bers s. Each of the resultant nonmigrating tidal
components possesses different vertical propagation
characteristics that depend, for example, on its sensi-
tivity to the prevailing zonal winds and its vertical
wavelength. It is difficult to track vertical tidal
propagation into the upper atmosphere because the
distribution of ground-based observations is spatially
limited. This is particularly true for altitudes between
about 30 and 180 km above the Earth’s surface, which
encompass the region where the upward-propagating
waves attain large amplitudes and subsequently dissi-
pate. It is generally impossible to distinguishmigrating
from nonmigrating tides in the analysis of ground-

based remote-sensing measurements made at these
altitudes. During the 1990s remote sensing from the
Upper Atmosphere Research Satellite (UARS) consid-
erably ameliorated this problem. Figure 4 illustrates
the latitude–longitude distribution of nonmigrating
diurnal northward wind amplitudes at 95 km for the
month ofOctober, averaged over three years. The data
utilized to construct this figure consist of wind
measurements made by the High Resolution Doppler
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Interferometer (HRDI) and the Wind Imaging Inter-
ferometer (WINDII) instruments on UARS. In this
depiction the migrating tidal component (amplitudes
as large as 50m s� 1) has been removed. The ampli-
tudes in Figure 4 are residuals of order 10–20m s� 1,
which add a substantial longitude dependence to the
diurnal tide. Spectral analysis of these particular data
reveals that the longitudinal structure is dominated by
the westward-propagating s ¼�2 and the standing
s ¼ 0 components, with some contribution from the
eastward-propagating s ¼ 3 diurnal tidal component.
Complementary numerical modeling studies suggest
that these waves are probably generated in the lower
levels of the atmosphere.

Spectral analyses of the Japanese Kyushu University
general circulation model (KUGCM) results reveal
that diurnal and semidiurnal nonmigrating tides are
primarily generated in the lower atmosphere and
propagate to higher levels. The KUGCM is one of the
few models of the atmosphere that realistically simu-
lates the physics and dynamics of the lower, middle,
andupper atmosphere. It includes realistic topography
and latent heating associated with tropospheric con-
vection, and the model domain extends into the
dissipative thermosphere above 100 km. The
KUGCM meridional wind component associated
with the westward-propagating s ¼ �2 diurnal tide
is illustrated in Figure 5. The wave amplitude exhibits
double maxima on either side of the Equator near
about 7201. Double maxima can also be discerned
near 120–1801 and 300–3601 longitude in the satellite
measurements that are shown in Figure 4. These
maxima are nearly 1801 apart, which is consistent
with a wavenumber 2 oscillation. However, this

structure is also distorted by the added presence of
the s ¼ 0 and s ¼ 3 oscillations. Latent heat release
associated with raindrop formation in deep tropo-
spheric clouds is a plausible source of these nonmi-
grating diurnal waves.

Lunar Tides

Lunar atmospheric tides are only about 5–10% as
large as solar tides, but they have clearly detectable
effects. The lunar tidal pressure at the ground maxi-
mizes at low latitudes, with an average amplitude of
about 7 Pa. The corresponding wind amplitude at the
Equator is about 0.03m s�1. The wind amplitude
increases with altitude up to about 110 km, where it
reaches an amplitude on the order 10m s� 1.

Unlike the solar tides, the lunar atmospheric tides
are entirely driven by gravitational forces, as illustrat-
ed schematically in Figure 6. Because the lunar
gravitational acceleration decreases as the inverse
square of the distance from the center of the Moon,
this acceleration is not exactly uniform near the Earth,
so that atmospheric air parcels at various locations
around the Earth experience slightly different lunar
accelerations from those of the Earth as a whole. Air
parcels in the hemisphere most distant from theMoon
are accelerated toward the Moon less strongly than is
the Earth, in effect creating a relative acceleration
away from the Moon for these air parcels, in the
Earth’s reference frame. Conversely, air parcels in the
moonward hemisphere of the Earth experience a
relative acceleration toward the Moon. In each
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hemisphere, parcels to the west of a line passing
through the centers of the Earth andMoon experience
an eastward component of acceleration,while those to
the east of this line experience a westward accelera-
tion. As the Earth rotates, during a lunar day
(24.8412 h on the average) an air parcel at the Equator
successively passes twice through regions of westward
and eastward acceleration, comprising two lunar
semidiurnal cycles of period 12.4206 h. When the
Moon is north or south of the Earth’s Equator, an
additional diurnal lunar cycle (period 24.8412 h) of
acceleration exists at nonequatorial latitudes. There is
also a monthly periodicity to the forcing as the Moon
cycles between the Northern and Southern Hemi-
spheres of the Earth. Both this cycling and the
ellipticity of the Moon’s orbit create amplitude and
frequency modulation of the lunar semidiurnal and
diurnal forcings that can be expressed as combinations
of multiple closely spaced periods. The dominant
lunar period, representing the average lunar semidi-
urnal tide, is referred to as the M2 tide, with a
12.4206 hour period.

In addition to the direct forcing of lunar gravity on
the atmosphere, lunar atmospheric tides are indirectly
forced by lunar gravity through deformation of the
Earth’s surface due to ocean and Earth tides. The
vertical velocity associated with this deformation
significantly affects the atmospheric tide, and the
modulation of terrestrial gravity by the deformation of
the Earth’s mass distribution also has an effect. These
indirect forcing effects can be determined accurately
from measurements of ocean and Earth tides, so that
the total lunar tidal forcing is well known. This is
beneficial for testing theoretical models of tidal prop-
agation and dissipation in the atmosphere. The indi-
rect forcing effects, because they depend on land–sea
differences, are a function not only of apparent lunar

position but also of geographical location, and gener-
ate nonmigrating tides in addition to the primary
migrating lunar tides.

It is possible to develop a model of the M2 lunar
semidiurnal atmospheric tide that produces results
that agree very satisfactorily with the observed tide in
the surface pressure. Such amodelmust account for all
direct and indirect lunar forcing effects, and include
realistic atmospheric wind and temperature struc-
tures. Figure 7 illustrates prototypical M2 model
results and shows how the lunar tidal amplitude varies
with latitude and longitude over the Earth for atmos-
pheric conditions representing the month of Decem-
ber. The largest amplitudes in this month are at low
latitudes, but they vary from less than 4 Pa (40 dPa) on
the east coast of South America to more than 12 Pa
over the mid-Pacific. A secondary maximum appears
over the northern Atlantic.

On the average, the amplitude of theM2 tide at low
latitudes is larger around the solstices than at the
equinoxes, by roughly 50%. Some of the largest
geophysical effects of atmospheric lunar tides appear
in the low-latitude ionosphere. Like solar tidal winds,
lunar tidal winds generate a dynamo effect in the
ionosphere by moving the electrically conducting
medium through the Earth’s magnetic field, creating
an electromotive force with ensuing electric currents
and polarization electric fields. During the daytime,
when the conductivity is large owing to ionizing solar
radiation, the electric currents produceperturbations in
the Earth’s magnetic field that are readily measured at
the ground. Figure 8 shows the northward component
of the magnetic perturbation at Huancayo, Peru, for
two phases of the lunar tide: 5 and 12 days following
new moon. These represent average conditions in
1957–58 for the months of November to February,
when the lunar tide in the ionosphere is generally

90° N

60° N

30° N

0°

180° 120° W 60° W 60° E 120° E 180°0°

30° S

60° S

90° S

Longitude

La
tit

ud
e

40.0

80.0

40.0
40.0

80.0
40.0

80
.040.0

80.0

40.0

Figure7 Contours ofM2 lunar semidiurnal surface pressure amplitude (dPa) against longitude and latitude for themonth of December.

(Dr. F. Vial collaborated with Professor J. M. Forbes to produce the model results.)
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largest. The larger solar diurnal and semi-diurnal
tides produce a northward perturbation that maxi-
mizes daily at around 11.00 local solar time (LT). On
day 5, the lunar tide enhances the magnetic perturba-
tion at 11.00LT, but reduces it in the late afternoon.On
day 12 the phase of the lunar tide and its effects are
reversed from those on day 5. Clear lunar effects in
the low-latitude ionospheric electron density are also
found.

See also

Buoyancy andBuoyancyWaves:Optical Observations;
Theory. Diurnal Cycle. Ionosphere. Middle Atmos-

phere: Gravity Waves. Parameterization of Physical
Processes: Gravity Wave Fluxes. Radar: Meteor Radar.
Satellite Remote Sensing: Wind, Middle Atmosphere.
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Introduction

A broad range of aviation weather hazards affect
operations from takeoff and landing to in-route flight
at high altitudes. A goal here is to provide an overview
of key meteorological processes disrupting flight,
reducing lift, increasing drag, influencing instrument
readings, or reducing visibility. These atmospheric
factors include gravity currents including thunder-
storm gust fronts and sea breeze fronts. Because the
motions and decay of aircraft wake vortices are
controlled by local winds, turbulence, and stability,
these dangerous wake effects are also discussed.
Hazard types covered appear in Table 1, together
with brief descriptions of their potential impacts on
flight. Figure 1 summarizes some of these meteoro-
logical disturbances, indicating typical flow strengths
and altitudes affected. Encounters with turbulence
aloft can disrupt flight paths and cause injuries to
crews and passengers. Such strong encounters can
result from organized instabilities of limited duration
or extent, such as breaking gravity/shear waves. On
the other hand, more random turbulence aloft, when
of long duration and covering extended areas, can
contribute to structural fatigue and reduce aircraft
operating lifetimes.

For selected hazards, atmospheric causal processes
are reviewed and key properties such as dimensions

and strengths are summarized. Also, discussions of
efforts at hazard prediction, detection, and warning
illustrate the progress that has beenmade inmitigating
atmospheric impacts on the aviation system.

Atmospheric Gravity Currents

One important type of atmospheric gravity current is
the outflow from a distant thunderstorm downdraft.
For these systems, because the downdraft region is
usually quite large in diameter (typically 10 km or
more), the wind shears near the downdraft can be
relatively weak. However, the wind speed and wind
direction change that accompany the leading edge can
cause significant relative air speed changes for aircraft.

Table 1 A summary of aviation weather hazards and their areas of impact upon flight operations

Hazard Areas of impact

Atmospheric gravity current wind shears (e.g., thunderstorm

gust front and sea breeze front)

� Relative air speed changes

� Require runway changes

Microburst wind shears � Flows can exceed performance capabilities of modern

aircraft

Vertical wind shear � Deviations from glide slopes

Gravity/shear waves � Flight disruption and structural fatigue

Icing � Increased drag and reduced lift

� Reduced stall angle

� Flight disruption

Terrain-induced disturbances (e.g., lee waves, rotors, bora) � Deviations from assigned flight altitudes

� Structural damage

� Flows can exceed performance capabilities of modern

aircraft

Vicinity of thunderstorms (e.g., hail, funnels, obstacle flows) � Deviations from flight altitudes

� Structural damage

Aircraft wake vortices transported to unexpected locations � Roll moments disrupting flight of following aircraft

Altimeter errors � Deviations from assigned or expected flight altitudes

Mountain
waves

Inversion/shear

Density
currents

Downdraft

Free atmospheric
shear layers
Zonal flows

Dust devil Bora

100

5

H
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)

Wind speed (m s−1)

Figure 1 Summary of the altitude impact ranges of meteorolog-

ical hazards and typical wind speed strengths involved.
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Sudden aircraft performance changes caused by the
atmosphere (whether increasing or decreasing per-
formance) are problematical. Figure 2 is a conceptual
view of a gust front from a distant thunderstorm
crossing an airport. Although at times these bounda-
ries are clearly visible because of entrained dust, more
often the boundary will occur invisibly in clear air at
large distances from the originating thunderstorm.

The speed of motion, c, of a gravity current with no
ambient wind can be estimated from the density
current equation [1].

c ¼ Fr
DT
T

gh

� �1=2

½1�

Here, Fr is the Froude number (B1), DT is the
temperature change in the gust front air relative to the
environmental air,T is themean temperature, g is local
gravity, and h is the height of the outflow boundary.
Corrections for the ambientwind canbemade.Table 2
summarizes statistics for gust fronts measured in the
Denver, Colorado, region during an intensive field
program during the summer of 1982. Data from this
and other experiments demonstrate that the density
current equation applies quitewell. The leading edge is
usually accompanied by a temperature drop and
pressure rise, unless complicated by the existence of
a ground based inversion layer. Figure 3 shows an
acoustic sounder display of a gust front propagating
on top of a ground-based inversion.

Another important aspect of thunderstorm outflow
boundaries is that a preferred region for the initiation
of new convection is near the leading edges where

vertical forcing of ambient air occurs. This is especially
truewhere boundaries collide.Microbursts also have a
tendency to occur near outflow boundary regions.
Fortunately, Doppler radar can detect these gust front
boundaries effectively and provide an invaluable, all-
weather resource to guide airport operations when
gravity currents are approaching.

Microbursts

Between 1964 and 1985, over 30 commercial aircraft
crashes resulted from microbursts. A microburst is
defined as a downdraft region with a scale size less
than 4 km. The resulting strong outflows usually do
not travel radially outward for long distances
(410km), and the durations are short (often less
than 10min).However, in the vicinity of amicroburst,

Table2 Gust front statistics derived fromsurfacemeteorological

stations in theDenver,Colorado regionduring the summerof 1982.

Number of events599

Parameter Average Minimum

value

Maximum

value

Wind speed change 9.4ms� 1 3.0 17.0

Wind vector change 13.7ms�1 5.0 37.0

Temperature change � 1.91C �5.1 13.1a

Pressure change 0.67 hPa �0.4a 3.3

Rain rate 24mmh� 1 0 3.0

aThese anomalous readings of temperature increase and pressure

decrease resulted from the passage of a gust front on top of and

eroding a ground-based inversion.

Inflow

Outflow

20 km

Density current

3 km

Runway

Thunderstorm

Figure 2 Conceptual view of a gust front from a distant thunderstorm crossing an airport.
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strong winds (450m s�1) and rapid wind direction
changes of 1801 can occur.Whenmicrobursts descend
near or on runways, they constitute an extreme flight
hazard. Microburst flows are analogous to those
produced when squirting a water hose on a flat
surface. The downflow jet interacts strongly with the
surface, producing strong radially directed flows. The
large spatially concentrated horizontal wind vector
changes and the downdraft can produce increasing
performance/decreasing performance couplets that
are difficult to predict and handle. For example, an
aircraft flying through a microburst that has impacted
the approach end of a runway will first encounter a
head wind, increasing performance and causing ex-
cursions above the glide slope. As the pilot corrects for
this, the aircraft enters the downdraft region, followed
by an outflow region, rapidly degrading performance.
Depending upon the timing and relative positions of
the aircraft and microburst to the runway, this
scenario can be catastrophic. The timing is so critical
that even landing differences of several minutes can be
important. The statistics of microbursts measured in
the vicinity of Denver, Colorado, are presented in
Table 3. Microbursts were identified by the winds
clearly radiating outward from a center, as distinct
from the essentially linear gust front winds. To date,
the largest wind speed documented for a microburst
was that related to a ‘near miss’ of Air Force One with
President Reagan on board when it was on the ground
nearWashington,DC, on1August 1983 (awind speed
surge over 60m s�1). The microburst occurred five
minutes after the plane landed. Newspaper accounts

said that a secret service officer jumped on top of the
president to protect him as the winds buffeted the
aircraft.

There are two extreme types of microbursts: ‘dry’
and ‘wet’. Dry microbursts are especially hazardous
because the visible virga (raindrops or a snow plume
descending from cloud base as in the photograph in
Figure 4) related to the microburst initiation process
evaporates and becomes invisible as it approaches the
surface. Since the downdraft descent time takes about
5min, it canbedifficult to relate anobservationofvirga
to a resultingmicroburst. Conversely, awetmicroburst
has a strong rain shaft and is easily seen if not obscured
by rain from a surrounding storm (Figure 5).

Doppler radar can detect microbursts once the
radial outflow is established by the intense downdraft
penetrating to the surface. Also, the concentrated rain
shafts for wet microbursts can be detected. The
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Figure 3 Acoustic sounder detection of a gust front propagating on a ground-based inversion.

Table 3 Impacting microburst statistics derived from surface

meteorological stations in the Denver, Colorado region during the

summer of 1982. Number of events5 33

Parameter Average Minimum

value

Maximum

value

Wind speed change 13.5ms� 1 2.5 27.5

Wind vector change 20.7ms� 1 10.0 37.5

Temperature change � 1.51C �9.0 15a

Pressure change 0.66 hPa �1.5a 2.0

Dew point change �71C 171C
Rain rate 16.4mmh� 1 0 2.75
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uses of arrays of airport wind sensors, Doppler radars,
and improved controller/pilot training (both to recog-
nize visual clues and to respond in the best possibleway
if a microburst is encountered) have helped to reduce
microburst-related accidents. Also, the fact that the
lapse rate between 500 and 700hPa is correlated with
microburst probability provides forecasting potential
for dry microburst likelihood. Dry microbursts are
more probable when the lapse rate is481C/km.

Vertical Wind Shear and Gravity/Shear
Waves

Whereas the thunderstorm gust front and microburst
hazards result primarily from horizontal changes in

wind speed, vertical changes in wind speed and
direction can also present a hazard, especially for
lower-level flight operations. A ground-based inver-
sion is often accompanied by calm winds near the
surface and strong winds just above the cooler, stable
near-surface air. Aircraft descending or ascending
through such layers can encounter strong wind
shear-produced performance changes and turbulence,
and rapid fluctuations associated with gravity/shear
waves. These waves have scale sizes from tens to
hundreds of meters, resulting in aircraft interaction
times of seconds or less. Figure 6 is a conceptual view
of such a situation in the vicinity of mountains. Figure
7 is a Doppler lidar display of gravity/shear waves.
Vertical wind shear conditions can be especially

Figure 4 Photograph showing virga descending from cloud base.

Figure 5 Photograph of a ‘wet’ downdraft.
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important for general aviation airports if relative
airspeed is suddenly reduced on a low-level approach
or during takeoff in the vicinity of terrain. At airports
where wind shear above stable air is a frequent
problem, boundary layer wind profilers or acoustic
sounders can provide valuable real-time monitoring
capabilities.

The presence of gravity/shear wave activity often
complicates flight through layers of vertical wind
shear. A pure shear layer in a neutrally buoyant
atmosphere may be modeled as a vortex sheet, highly
unstable to disturbances. If wind shear occurs in
conjunction with a stable layer, gravity provides a
restoring force, and such a system will support wave
motion. Hence, the term gravity shear wave. Several
questions naturally follow from this situation.

� Under what conditions will the upper-level wind
shear start to erode the stable air and turbulence
grow?

� At what rates do such stable pools of air get
removed?

� What are some examples of situations where these
processes are important for flight operations?

The Froude number, Fr, is a measure of the relative
importance of inertial and gravity forces. For the
situation of flow above a stable layer, Fr is given by
eqn [2], whereU is the flow speed above the inversion,
g is local gravity, h is the height of the inversion, dr is
the density difference between the two layers, and r is
the mean density.

Fr ¼ U

dr
gh

r

� �1=2
½2�

In field and laboratory experiments, the start of
disturbances and waves takes place when the Froude
number exceeds about 0.6. Thus, if the height of the
inversion and a temperature profile are available, the
threshold speed U can be estimated. Once the erosion
process starts, it can often continue at a slow and
approximately constant rate. Values of vertical ero-
sion rates near 10 cm s�1 have been measured near
complex terrain. On the positive side, the time scales
are of the order of hours for changes, in contrast with
minutes for microbursts. Thus, vertical wind profilers
for monitoring and knowledge of local climatologies
can be quite valuable, particularly for mountain
valleys and the lee sides of complex terrain.

Another important dimensionless number is the
Richardson number, Ri, which is an important index
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Figure 6 Conceptual view of gravity/shear waves in the vicinity

of mountains.
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for turbulence. This number depends upon the gradi-
ents of both temperature and wind speed (eqn [3]).

Ri ¼ g

y
dy
dZ

dU

dZ

� �2
,

½3�

In eqn [3], g is local gravity, y is the mean potential
temperature, dy=dZ is the change in potential temper-
ature with height, and dU=dZ is the change of wind
speed with height. The criterion for turbulence,
Rio1=4, has been shown to be a valuable index for
aircraft turbulence when temperature and wind speed
profiles are available tomake the comparison between
predicted turbulent altitudes and actual turbulence
reports from pilots. A challenge is either to predict the
temperature and wind speed gradients or to measure
them with sufficient accuracy to produce reasonable
estimates of Ri values. Wind profiling radars used in
conjunctionwith theRadioAcoustic Sounding System
(RASS) to obtain temperature profiles will be valuable
for such applications. Pilot reports as well as the use of
visual clues are also an invaluable component for
avoiding regions of turbulence aloft. Figure 8 depicts
gravity/shear waves that are revealed by cloud forma-
tions.

Large-amplitude, long-lived gravity waves repre-
sent another aspect of the hazard. Such waves have
been observed to propagate rapidly (at 35–40m s� 1)
away from the region of a cyclone where they were
generated. The waves in this case traveled through
eastern New England in the United States. The high-
speed waves were accompanied by precipitation and
wind surges. For example, at Boston the wind
increased from less than 10 knots to 57 knots over

about 5min. Such discontinuities can represent sig-
nificant hazards, since they are unexpected weather
features producing wind vector changes on scales that
can affect flight, especially during takeoff and landing.

Icing

Icing potential depends upon the probability of drops
of supercooled liquid impacting aircraft surfaces.
Larger droplets are more likely to strike an airfoil,
since they do not easily follow the flow streamlines and
pass around an obstacle as do smaller droplets. The
icing hazard can be insidious because of two factors:

1. Only a small amount of ice deposition can have
large, deleterious effects upon lift and drag, thus
reducing aircraft performance.

2. Icing and the degradation of performance can
increase slowly and imperceptibly, until an emer-
gency exists.

Two situations account for most reported in-flight
icing encounters. Convective activity involves rela-
tively large amounts of supercooled liquid water, and
the hazard can extend to higher altitudes with the
potential of significant ice accumulation in a short
time.

The other frequent situation involves flight through
layered cloud decks. Although the supercooled liquid
content can be lower than in convective situations,
aircraft typically spend more time in these layered
clouds, accumulating significant ice on fuselage and
control surfaces. Figure 9 depicts situations contrib-
uting to this form of icing, which is especially

Figure 8 Photograph showing gravity/shear waves visualized by cloud formations.
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important for commuter and general aviation aircraft
operating at lower altitudes. The wind shears and
turbulence often accompanying such systems can be
regions where larger drops are concentrated by mix-
ing. Sometimes, by making small altitude changes, a
plane can avoid these regions of enhanced icing
potential.

Combinations of remote sensors have value for the
monitoring and forecasting of icing situations. Polari-
metric radars, dual-wavelength radars, wind profilers,
RASS, and passive radiometric measurements can, in
concert, indicate the locations of supercooled liquid.
Aircraft can also accumulate icing on the ground in

freezing rainstorms. This problem is treated at major
airports by application of de-icing fluids before takeoff
(see Aircraft Icing).

Terrain-induced Turbulence

Terrain effects can occur at all flight levels, with some
disturbances affecting the stratosphere. The flow
situations can range from lee waves, bora flows
(a form of density current), and rotors, to mechani-
cally induced turbulence. Figure 10 is a Doppler lidar
display showing the roll-up of a vortex sheet in the

SLW
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Barrier forcing Convergence

SLW

SLW

Cool air

Horizontal winds

Surface
fog SLW

SLW

Frontal forcing

Radiative cooling

Shear enhancement of 
large water droplet sizes

by aggregation

Advection

Figure 9 A summary of situations contributing to aircraft icing events. SLW stands for supercooled liquid water.
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Colorado Springs area. At times, organized instabil-
ities can occur in the forms of vertical or horizontal
axis vortices. These obstacle-involved situations can
be exceptionally complex when the terrain flows
interact with other meteorological factors (such as
lee-side inversions). Since 1964, there have been 15
major accidents and incidents in the vicinity of
complex terrain (Table 4).

One study indicated that the general aviation
accident rate was 40% higher for US mountain states
than for all other continental states, and the rate was

150%higher for a selected group ofmountain airports
relative to a group of nonmountain airports.

Table 4 indicates a pattern of sporadic encounters of
aircraft with severe or extreme turbulence in the
vicinity of mountains. In many cases, aircraft preced-
ing or following the aircraft involved in the event
encountered some turbulence, but not the extreme
turbulence of the encounters (which often exceeded
structural limits). Thus, the regions of severe or
extreme turbulence may, at times, be spatially con-
centrated and short-lived. This makes predicting the
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Table 4 Turbulence-related accidents and incidents occurring in the vicinity of mountains

Event Date Location Comment

Accident 31 Mar. 1993 Anchorage, Alaska Turbulence, 747 lost engine

Accident 22 Dec. 1992 West of Denver, Colorado Loss of wing section and tail assembly, 2-engine cargo

plane, lee waves present

Accident 9 Dec. 1992 West of Denver, Colorado DC-8 cargo plane, loss of engine, lee waves present

Unknown cause accident 3 Mar. 1991 Colorado Springs, Colorado 737 crash

Accident 12 Apr. 1990 Vacroy Island, Norway DC-6 Crash

Severe turbulence 24 Mar. 1988 Cimarron, New Mexico 767, 1.7G, Mountain wave

Severe turbulence 22 Jan. 1985 Over Greenland 747,12.7G

Severe turbulence 24 Jan. 1984 West of Boulder, Colorado Saberliner, 10.4G to �0.4G

Severe turbulence 16 Jul. 1982 Norton, Wyoming DC-10,11.6G to � 0.6G

Severe turbulence 3 Nov. 1975 Calgary, Canada DC-10,11.6G

Accident 2 Dec. 1968 Pedro Bay, AK Fairchild F27B, wind rotor suspected

Accident 6 Aug. 1966 Falls City, Nebraska BAC 111, wind rotor suspected

Accident 5 Mar. 1966 Near Mt. Fuji, Japan BOAC 707, wind rotor suspected

Accident 1 Mar. 1964 Near Lake Tahoe, Utah Paradise Air Constellation, strong lee wave

Accident 10 Jan. 1964 East of Sangre de Cristo

mountains in New Mexico

B52, wind rotor suspected
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time and location of these events more difficult. There
is a great need to define the properties of mountain-
related hazards, improve short-term forecasting of
these events, improve pilot training resources, and
develop detection methods.

Major field experiments have addressed this prob-
lem, which requires three-dimensional sampling of
large volumes of the atmosphere as a function of time,
documenting both surface and near-surface effects, as
well as upper tropospheric and stratospheric effects.
Both physical scalemodels and numericalmodels have

guided the execution of field programs studying
mountain flows, which require the commitment of
considerable scientific and measurement resources.
Figure 11 shows an example of the changes in flows
encountered by a research aircraft traversing a lee
wave in the RockyMountain region of the US. Similar
strong changes were also encountered in temperature,
pressure, and vertical wind speed, with great differ-
ences as a function of horizontal distance and flight
level. Doppler lidars have the ability to detect these
hazards near the surface in clear air. Figure 12
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Figure 11 Horizontal wind speed changes encountered by a research aircraft in a lee wave situation on 25 January 1984. Data from

flight legs at four altitudes are shown.
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is a Doppler lidar display illustrating the com-
plexity possible for such upper-level mountain
flows.

Thunderstorms

The most extensive study of thunderstorms was the
Thunderstorm Project. This study included surface
meteorological stations, soundings, radar, and numer-
ous aircraft flights. This study not only treated the
larger-scale thunderstorm structure, circulation, and
surface effects, but also properties important for flight.
These thunderstorm effects influencing aircraft in-
cluded turbulence, hydrometeors, downdrafts, and
updrafts, providing statistics for these thunderstorm
parameters. The report also discussed the thunder-
storm structure as detected by radar and geographical/
topographical effects on thunderstorm development.
This report by Byers and Braham is an important
resource addressing all aspects of thunderstorms (see
Further Reading).

Radar guidance permits aircraft to navigate
gaps between growing thunderstorm cells, and it is
presumed here that pilots will avoid penetrating
such violent severe weather directly. On the other
hand, the clear air around cells or near benign-looking
flattened anvil clouds often appears safe for flight,
but these regions should be approached with caution
if they cannot be avoided. Table 5 outlines these
regions near thunderstorms and some of the potential
hazards.

Aircraft Wake Vortices

The strong vortex pairs behind heavy aircraft flying at
low speeds result from the lift being generated. The
tangential winds near the cores can be greater than
100m s�1 (measured at over 130m s�1 for a Boeing
757). In an ideal atmosphere (neutrally stable, with no

winds or turbulence), these vortices move downward
and than outward, diverging in a predictable way as
they approach the surface of the Earth.

However,with lightwind speeds that are close to the
transport speeds of the vortices, complex vortex
trajectories can result. Figure 13, from numerical
simulations, shows how vortex transport can be
modified by ambient winds and for some situations
can remain stationary over runways. Such motions
have been documented in field experiments. In addi-
tion, atmospheric stability also affects transport,
perhaps causing the vortex pair to remain at a higher
altitude than expected. The level of atmospheric
turbulence is an important factor in controlling vortex
decay times. Although generated by aircraft rather
than being a true atmospheric meteorological phe-
nomenon, it is the variability of the atmosphere that
magnifies the hazard potential.

Concern about the wake vortex hazard to following
aircraft is a limiting factor for the most efficient use of
airport operations. This is because safety is currently
ensured through the use of increased spacing between
heavy aircraft and following aircraft. In spite of this,
between 1983 and April 2002 there were nine docu-
mented accidents with wake vortices as the cause.
Although most of these accidents involved general
aviation aircraft encountering the wakes of heavy
commercial aircraft during approach or departure,
some involved in-route wake upsets between two
heavy aircraft. For example, on 2 September 1999 a
Boeing 737 out of Santa Barbara, California flew
through severe turbulence from the wake of an
MD-11, with 15 injuries. This occurred in spite of a
separation of 11 miles. In the future, the use of re-
mote sensing technologies to track the positions
of vortices could permit more effective use of
runways. Also, boundary layer wind profilers and
RASS could provide detailed real-time wind and
temperature data as inputs to vortex transport predic-
tion models.

Table 5 Atmospheric hazards near thunderstorms

Potentially Hazardous Region Comment

1. Clear air regions to the lee of thunderstorms acting as obstacles

to ambient winds

Aircraft upsets have been caused by lee waves around

thunderstorms

2. Funnels may occur in the vicinities of anvil regions There have been funnel-related aircraft accidents

3. Near or in the tops of weak-looking convective cells when there

is wind shear present

These situations can strengthen regions of concentrated

vorticity

4. Lightning strikes in and near thunderstorms Frequent occurrence; damage can affect flight performance

and cockpit instruments. Composite material airframe

structures are at greater risk

5. The clear air above thunderstorm tops is a location for sprites,

elves, blue jets and other electromagnetic phenomena

Thehazardpotential is not known.Thismaybecomea factor for

aircraft manufactured from composite materials
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Altimeter Errors

There are several critical ways in which altimeter
errors can affect the aviation system. Pilots may be at
any of three distinct altitudes:

� Where they are assigned
� Where they think they are
� Where they are

Several factors can contribute to these three places not
being the same. There could be errors in calibrating
aircraft altimeters. There could be malfunctions of
aircraft instruments (e.g., clogged pressure ports).

Also, the surfaces of constant pressure could be highly
perturbed (e.g., by strong lee wave conditions or in the
vicinities of frontal boundaries). Atmospheric winds
around buildings housing altimeters can cause signif-
icant differences between true static atmospheric
pressure and ameasurement contaminated by dynam-
ic pressure effects. For example,winds between 10 and
25m s� 1 can induce dynamic pressure errors as large
as about 2 hPa at an airport barometer (equivalent to
altitude errors between 3 and 20m). The development
of new static pressure probe designs and improved
calibration procedures is helping with these problems,
which can be critical for mountain flying situations.
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In the future, deviations from assigned flight alti-
tudes in the vicinity of pressure surface perturbations
will becomemore of a concern. As air traffic continues
to increase, so will the motivation to allow smaller
vertical separations of flight altitudes. There is a need
to document the statistics of these excursions aswell as
the conditions under which they occur. The significant
altitude changes involved with an aircraft traversing a
leewave on25 January1984provide an example of the
importance of such encounters (Figure 14).

Concluding Remarks

The early literature of aeronautical meteorology
contains vivid accounts of the frightening experiences
of balloonists within thunderstorms. Fortunately, the
evolution of modern flight has made modern aircraft
largely immune to such experiences, but they are
susceptible to other hazards, such as microbursts and
wake vortices (in part because of our technological
advances).On the other hand,modern lighter-than-air
vehicles, both tethered and untethered, can find
themselves similarly challenged because of limited
agility. The future uses of lighter-than-air craft may be
expanded as our ability to make reliable long-range
forecasts improves.Table 6 outlines challengeswe still
face in continuing to mitigate aviation weather haz-
ards. The application of remote sensing technologies,
better knowledge of atmospheric dynamics, improved
numerical models, and accurate longer-term forecasts
will be critical to success.
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Table 6 Remaining areas of special need

� Improved knowledge of terrain-induced disturbances and the

development of mitigation techniques

� Improved warnings for ‘free air’ turbulence, especially better

knowledge of risks in the vicinity of thunderstorms

� Earlier detection techniques for dry microbursts and increased

understanding concerning their initiation processes

� Improved warnings of icing situations

� Better predictions of the transport and decay of aircraft wake

vortices

� Broader application of site-specific remote sensing technol-

ogies for hazard prediction and monitoring applications
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Introduction

Baroclinic instability refers to a process by which
perturbations draw energy from the mean flow
potential energy. The conversions of energy are
proportional to perturbation heat fluxes in both
horizontal and vertical directions. The atmosphere
requires heat fluxes to maintain the observed pattern
of net radiation (positive in the tropics, negative
poleward of 381Nor S on an annual average). A zonal
meanmeridional circulation, such as a tropicalHadley
cell, can generate these heat fluxes.However, inmiddle
latitudes, various factors cause eddies to accomplish
the bulk of the heat transport. Baroclinic instability
provides a mechanism to explain how these eddies
form and evolve while incorporating the necessary
heat fluxes. Theoretical models of baroclinic instabil-
ity can simulate various observed properties of
midlatitude eddies, including the dominant length
scales, propagation speed, vertical structure, and
energetics.

Baroclinic instability can be viewed as a shear
instability. From thermal wind balance, the vertical
shear of the zonal wind is proportional to ameridional
temperature gradient. The meridional temperature
gradient is proportional to the available potential
energy (APE) that the baroclinic instability mecha-
nism taps. Another view of baroclinic instability
emphasizes interacting potential vorticity (PV) anom-
alies. Baroclinic instability is usually studied by
linearizing the dynamics equations and using
eigenvalue or initial value techniques. These alterna-
tive views and analysis procedures generally provide
complementarymeans to understand better baroclinic
instability.

An Illustrative Model

An illustrative model provides mathematical rela-
tions and archetype solutions for the concepts that
follow.

Mathematical Formulation

The model uses quasi-geostrophic (QG) approxima-
tions and nondimensional scaling appropriate for
midlatitude frontal cyclones. Potential vorticity
has contributions from the interior and from temper-

ature gradients at rigid bottom ðz ¼ 0Þ and top
ðz ¼ ZTÞ boundaries. In the QG system, PV can be
written as:

q ¼ r2c|ffl{zffl}
RV
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qr
qz

þ qe
qz
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where c is the horizontal velocity streamfunction, r is
density, g is the acceleration due to gravity, and k is the
static stability from ys, the horizontal mean potential
temperature. The coordinates are x eastward, y
northward, and z upward. Nondimensional length
scales are L in the horizontal and D in the vertical.
f0 is the constant part while b is the meridional
derivative (approximated as a constant) of theCoriolis
parameter.

An inherent horizontal length scale is the Rossby
radius of deformation ðLR ¼ NHf�1

0 Þ where N is the
Brunt Väisälä frequency ðN2 ¼ gkD�1Þ and H ¼
RTg�1 is the scale height (an inherent vertical length
scale). Thus, e ¼ ðLHÞ2ðLRDÞ�2 relates the assumed
scales L and D to LR and H.

Quasi-geostrophic PV includes three distinct parts:
absolute vorticity, which includes relative vorticity
(RV); ‘thermal’ vorticity (TV); and boundary PV
(BPV). Positive PV is associated with an interior
trough (in geopotential) and/or a warm surface tem-
perature anomaly.

When the vorticity and potential temperature
conservation equations are combined, one obtains
a time-dependent equation for QGPV conser-
vation:
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with boundary conditions at the bottom and top

q
qt

þU
q
qx

� �
qc
qz

� �
� qU

qz
qc
qx

¼ 0

at z ¼ 0;ZT ½2b�

‘Basic state’ variables are specified:U (independent of
x) is zonal wind, and Q is the interior part of the
QGPV; meridional and vertical velocities are zero.
One can solve eqn [2] as an initial value problem by
specifying an initial streamfunction or potential
vorticity.

An eigenvalue problem can also be formulated from
eqn [2]. A common approach assumes time and space
dependence in the form:

cðx; y; z; tÞ ¼ Re fðy; zÞ exp ½ikðx� ctÞ�f g ½3�
for the ‘perturbation’ streamfunction being sought.
This solution has zonal wavenumber k and complex
phase speed c. The growth rate is given by k Im fcg. If
U has no meridional variation, then one can assume a
wavelike y dependence too: expðilyÞ. When wave-
number l ¼ k, the solution is a ‘square wave’. Pertur-
bation velocities are defined as u ¼ �qc=qy and
v ¼ �qc=qx.

Additional simplifying approximations are often
made. A particularly simple form, commonly labelled
the ‘Eady model’, was described by E. T. Eady
in 1949. The Eady model assumes wavelike meridio-
nal structure, qQ=qy ¼ 0, U ¼ z, incompressibility
ðr ¼ constantÞ, and e ¼ 1. Then eqn [2a] is reduced
simply to solving q0 ¼ 0 in the interiorwhere the prime
denotes the ‘perturbation’ sought. The Eady eigenval-
ue problem can be solved analytically to yield a pair of
normal modes, one growing, and one decaying, for
scaled wavenumber ao� 2:4. The scaled wave-
number:

a ¼ ðk2 þ l2Þe�1
� �1=2 ½4�

is proportional to absolute wavenumber and static
stability.

Equations for perturbation kinetic energy, Ke and
available potential energy, Ae are:
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The volume integrals are over a closed domain and
mass weighted by rS, the horizontal mean density. In
the QG system, qc=qz is proportional to potential
temperature y, making the first term on the right-hand
side of eqn [5a] proportional to ameridional heat flux,
while the second term is proportional to a vertical heat
flux. The specified vertical shear, qU=qz, is propor-
tional to the available potential energy,Az of the basic
state and is the energy upon which the baroclinic
instability mechanism feeds. The first term on the
right-hand side of eqn [5b] is a barotropic energy
conversion. The barotropic conversion is proportional
to the divergence of eddy momentum flux and draws
energy from the mean flow kinetic energy Kz. The
second term on the right-hand side of eqns [5a] and
[5b] is the same, but with opposite sign indicating a
conversion between Ae and Ke.

Example Solutions

This QG eigenmodel of baroclinic instability is applic-
able to the midlatitudes. In these regions zonal flow
increases with height reaching a maximum near the
tropopause. Figure 1A is a representative nondimen-
sional profile of U where the tropopause is at nondi-
mensional z ¼ 1:0. The growth rate and phase speed
spectra, along with the (growing normal mode)
eigenfunction structures for different k are also shown
in Figure 1. The growth rate has maximum value at a
specific value of a. The vertical structure tends to have
relative maxima at the surface and near the tropo-
pause, but it becomes progressively more bottom-
trapped for shorter waves. The phase varies such that
unstable modes tilt upstream with height, i.e., against
the mean flow shear. Other solutions to eqn [2],
labeled continuum modes, are relevant to nonmodal
growth.

For shorter waves the lower maximum tends to
dominate (when compressibility is included) and the
solution decays rapidly away from the boundary. For
longer waves the tropopause level maximum tends to
dominate (Figure 1D). Eady model normal modes
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have interior q0 ¼ 0; from eqn [1]: the Laplacian
increases as k2, requiring a rapid change with height
for short waves to make the thermal term comparable
(this leads to boundary trapping of the solutions). For
longer waves, the Laplacian becomes small and the
vertical structure is more evenly spread in the vertical,
hence these modes are ‘deeper’.

Typical geopotential patterns observed prior to
frontal cyclone development have separate surface
and upper troposphere troughs, each equivalent
barotropic (vertical trough axis), with the upper-
level trough more prominent. A crude simulation
of that initial state is used to generate solutions
shown in Figure 2. Time-series of the growth rates
of several quantities are tracked over several days.
The time-series include potential enstrophy ðH ¼
ðq0Þ2Þ and total energy ðTE ¼ Ae þ KeÞ integrated
over the whole domain. The solutions approach
asymptotically to the most unstable normal-mode
growth rate as that eigenmode emerges to dominate
the solution. The growth rate has transient peak
values that can exceed the asymptotic (normal-mode)
value.

Classical View

Baroclinic instability draws upon the APE of the
environment inwhich an eddy sits. SinceAPE is related
to a horizontal temperature gradient, which is in turn
related to the vertical shear, it can be viewed as a type
of shear instability. One advantage of doing so is to
make comparisons with barotropic instability, which
draws energy from the horizontal shear. This view
provides a link to the eddy fluxes that are observed and
necessary for each conversion.

As demonstrated in eqn [5], heat fluxes are neces-
sary to have a baroclinic energy conversion. Horizon-
tal heat fluxes imply that the temperature and mass
(here c) fields are offset. The offset implies that the
trough and ridge axes tilt upstream with elevation.

The QG formulation above is adiabatic, so individ-
ual parcels conserve their potential temperature ðyÞ
over time. For unstable modes, the horizontal and
vertical eddy heat fluxes must distort the y field over
time, as suggested schematically in Figure 3. An
isentropic ðyÞ surface is drawn in three-dimensional
perspective; it curves up and over colder areas and dips
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down over warmer areas. Prior to eddy development,
the isentropic surface did not vary in the x direction
and had a shape like its intersection with the wall at
x ¼ 0. The isentropic surface is distorted by flow
around the high- and low-pressure centers and repre-
sentative cold (C) and warm (W) trajectories are also
drawn. When these trajectories are projected onto the
x ¼ 0 wall, they appear to cross the initial zonal mean
isentrope and have a slope that is typically half the
slope of the mean isentrope. In fact, they are changing
the zonal mean of the isentrope to become more
horizontal, thereby reducing the horizontal tempera-
ture gradient and thus reducing Az. In this classical
view, Az is reduced while Ae is increased by increasing
the zonal undulations of the isentropic surface.
Another aspect is that colder air is sinking while
warmer air is rising, a process that lowers the center of
mass and thus convertsAe intoKe. To lower the center
of mass, the parcel paths must have the vertical
component indicated, but they must also be less than
the slope of the mean isentropes for instability to
occur.

The classical view can incorporate latent heat
release as follows. The bulk of the precipitation in a
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line), and BPV2 (long dashed line). Growth rates approach asymptotically the most unstable normal mode rate for this wavenumber

(a ¼ 2:0). (C) Similar to (B) except for total energy (solid line), kinetic energy (short dashed line), and available potential energy (dot-

dashed line). For reasonable scale choices, z is scaled by 10 km x by 700 km, and time by 1.2 days.
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developing cyclone forms in thewarm-air sector of the
storm. The release of latent heat further depresses the
isentropic surfaces where there is poleward motion,
implying additional conversion of Az into Ae and Ke.

Potential Vorticity View

The potential vorticity view of instability tracks how
twoormore PVanomalies interact in away that causes
growth of the PV anomalies. Potential vorticity is a
fundamental conserved quantity for adiabatic mo-
tions. The illustrativemodel is designed aroundQGPV
conservation.

A PV pattern has an associated streamfunction and
horizontal wind field. In general, eqn [1] implies that
PV emphasizes smaller-scale variations than the
streamfunction field. Inverting eqn [1] obtains broad
patterns of c associated with isolated packets of q. An
illustrative example is shown in Figure 4 for PV
anomalies in the upper troposphere. The associated
winds are displaced from the PV anomaly center by 1

4
wavelength (B1000 km). A similar diagram can be

constructed for a PVanomaly associatedwith a surface
temperature gradient.

Potential vorticity anomalies are created by flow
across PV contours. Figure 5 illustrates how two
sinusoidal PV anomalies can amplify each other. The
PV gradient is reversed between the two levels,
increasing with y at upper levels and decreasing with
y at the surface. This pattern is consistent with upper
tropospheric PVand the surface temperature gradient,
respectively. (Recall that q is positive for lower
geopotential height or warmer surface temperature.)
The associated winds cause propagation by distorting
the PV pattern. However, the meridional wind asso-
ciated with a PV anomaly is in quadrature with that
anomaly so the PV cannot amplify itself. Growth is
described simply as advection at the PV extrema that
further amplifies the PV pattern. Since the associated
winds extend beyond the elevation of the PVanomaly,
there can be interaction with a second PV anomaly at
another level. When the second PV anomaly is offset
from the first, as in Figure 5A, the associated winds
amplify the first anomaly.
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This mechanism also explains how developing
cyclones maintain a preferred tilt (i.e., become ‘phase
locked’). The lower anomaly is shifted horizontally
to the right in Figure 5B so that upper and lower
anomalies are 180 degrees out of phase. The two
PV anomalies no longer amplify each other’s PV
anomalies (shutting off the instability mechanism).
Furthermore, the two anomalies reinforce the
velocities midway between their positive and
negative extremes, thereby enhancing the propa-
gation at each level; but the propagation is in
opposite directions at each level, thereby reducing
the phase shift to reestablish the pattern in
Figure 5A. As with the classical view, normal
modes are a special case where this phase locking
is optimized.

The PV view provides theoretical weight to a classic
description of how cyclones develop: an upper-level
trough (PV anomaly) approaches a low-level baro-
clinic zone (another PV anomaly), then growth com-
mences. This paradigm is commonly labeled ‘type B’
cyclogenesis.

Observations show independent troughs at the
upper and lower troposphere prior to development
with the upper approaching the lower. Neither trough
has upstream tilt initially; such tilt emerges only after
the two become favorably aligned and growth has
commenced.

A necessary condition for instability is that the
across-flow mean gradient of PV changes sign within
the domain. In the illustrative model above, b > 0
meaning Qy > 0 in the interior, and the surface
temperature gradient ðdy=dyo0Þ implies Qyo0 at
the ground. In the Eady model Qy ¼ 0 everywhere in
the interior, so the normal-mode instability comes
from BPV having opposite sign at top and bottom
boundaries.

A necessary condition for instability is that a
steering level, where U ¼ Refcg, lies within the
domain. A supportive kinematic argument is that air
parcels remain with the system (rather than blow
through it or be left behind) and are more easily mixed
laterally. For really long waves, strong retrogressive
motion caused by the b term leads to a different class
of unstable eigenmodes for ao� 1:1 (note cusp in
Figure 1B) than for larger a.

Normal Modes

Normal modes are physically meaningful eigenfunc-
tions. As in the illustrative model, the equations
are linearized about a specified basic state and
perturbation solutions are sought. Most commonly,
the time and one or more space dependencies are
assumed. By assuming a form like that in eqn [3],
unstable solutions grow exponentially. Models that
are simple enough may be solved analytically.
More commonly, the eigenvalue problem is solved
numerically.

Normal modes are consistent with many observed
features:

1. Unstable modes tend to be lined up along the jet
axis (if present) in the mean flow.

2. The most unstable wavelength is similar to the
observed median size. The normal-mode scale can
be manipulated by varying the choices made for
nondimensional parameters, but is on the order of
4500 km.

3. Solutions tend to develop similar zonal and merid-
ional lengths, the latter responding to the width of
the jet that provides one natural scale in the model.
Other properties (such as static stability) also
influence the length scales.

>>>

> >− + −

+ − + −

− + −

− + −
> > >

>

>

(A)

>
>

>
>

>
> >

>

(B)

Figure 5 Baroclinic instability from interacting PV anomalies at two levels. A representative PV contour (dot-dashed line) is drawn at

each level. Theoffset is (A) 14wavelengthand (B)
1
2wavelength.A typicalwavelengthmight be4�103 km.Eachanomalyhasanassociated

wind component parallel to the PV gradient; dashed arrows are winds from the lower PV anomaly, while solid arrows are from the upper

anomaly. Thewinds fromeach anomaly advect the associated anomaly. In (A) eachPV anomaly has awind component that amplifies the

undulation in the other anomaly, thereby causing growth. In (B) eachPVanomaly has awind component that augments the propagation in

the manner indicated by the broad arrows; this causes the anomalies to migrate to a phase difference similar to diagram (A).
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4. The vertical structure of the most unstable modes
tends to have relative maxima at the surface and
upper troposphere.

5. In growing normal modes the temperature lags the
mass field (typically by 20–50 degrees of phase for
the most unstable mode). Two consequences are:
� First, the mass field must tilt upstream with
height. There is typically 1

4 to 1
2 wavelength

(1–2� 103 km) between the trough location at
the surface and at tropopause level.

� Second, the lag allows across-flow heat fluxes
down the temperature gradient, as expected from
eqn [5a]. In the Eady model the heat flux is
uniformwith height.Model improvements,most
notably compressiblity, can emphasize the eddy
heat flux in the lower troposphere (where obser
vations find it most prominent).

6. The rate of propagation is B10–20m s� 1: slower
than jet stream level winds, but faster than (zonal
average) surfacewinds. The steering level is defined
as the level where the propagation speed of the
storm is equal to the wind component along the
storm’s track. The steering level for the most
unstable normal modes is typically between 700
and 500 hPa, depending on the assumptions made.
For shorter waves, the steering level is closer to the
surface, and these modes move more slowly.
Longer waves respond to competing effects: they
have greater upper-level amplitude (where U is
faster) but greater sensitivity to b (which enhances
retrograde motion).

7. The rate of growth is similar to but slower than that
of observed cyclones. Observed doubling times are
typically 1–2 days at upper levels.

8. Instability is inversely proportional to static stabil-
ity. For example, the peak growth rate depends on a
(¼ 2:0 in Figure 1). From eqns [1b] and [4], a is
proportional to static stability k. Hence, smaller k
places the most unstable peak at larger k, making
the growth rate ðk Im fcgÞ larger. Kinematically,
vertical motion needed in eqn [5] becomes easier
for smaller k.

The fact that normal modes have fixed tilt is not
necessarily unrealistic. Observations of the vorticity
equation terms support an approximately fixed struc-
ture for a developing low because the divergence term
opposes the horizontal advection at upper levels but
reinforces the horizontal advection at low levels. The
normal modes (Figure 1) are special structures where
the net advection is exactly uniform throughout the
depth of the fluid. Tracking observed troughs over
time shows some evidence for a period of fixed tilt
during growth, though the 12 h interval between
upper air observations makes the measurement diffi-

cult. The vorticity equation also illustrates instability
by which the divergence term has positive vorticity
tendency at a trough where vorticity is a maximum,
thus amplifying the peak vorticity (and vice versa for
ridges).

In addition to the normal modes, the eigenfunctions
include a class of solutions called ‘continuum’ modes.
For an adiabatic model continuum modes have
equivalent barotropic structure (no tilt), making
them neutral. In the Eady model, continuum modes
have zero PV at all levels except at the critical level,
where their amplitude has a ‘kink’. Continuummodes
play a role in nonmodal growth.

Nonmodal Growth

Nonmodal growth is seen when solving initial value
problems such as eqn [2]. The formulation can be
linear, as in eqn [2], or nonlinear. This approach is
more general than eigenanalysis, since the time
dependence is not assumed.

The solution at any time can be decomposed into a
combination of eigenfunctions. For an arbitrary initial
state, continuumandnormalmodes are present. These
modes move at differing speeds. In a linear formula-
tion the modes operate independently; as modes
disperse, positive and negative reinforcement varies.
The interference between modes decays algebraically
asymptotically. However, for some initial conditions it
is possible to have sizable growth over a limited time
period.

For the Eadymodel, analytic solutions can be found
that illustrate the process. Using an initial condition
with upstream tilt (f � exp ðimzÞ in eqn [3], where
m>0) yields solutions with normal mode and
algebraic parts. The algebraic part has time depen-
dence proportional to fðm� ktÞ2 þ a2g�1 and
exp fiðm� ktÞzg. The amplitude increases as the tilt
becomes more vertical until t ¼ mk�1. After that, the
wave tilts downstream and decays.

Initial upstream tilt becoming more vertical with
time has led to an expectation that RV increases at the
expense of TV while interior PV remains conserved.
However, exceptions can be found where large non-
modal growth occurs (inH) as upstream tilt ‘develops’
froman initial statewithno tilt. The explanation lies in
a rough cancellation between RV and TV, leaving the
BPV evolution to dictate rapid growth in H.

A robust interpretation of nonmodal growth is
progressively more favorable superposition of constit-
uent modes. Continuummodes, having mainly upper-
level amplitude, tend to move quickly, while modes
with mainly lower-level amplitude move slowly. De-
composition into eigenmodes of an initial state with
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upstream tilt finds faster continuum modes located
upstream of slower continuum modes. Over time, the
modes become more favorably lined up; the tilt
becomes more vertical and the total amplitude in-
creases. Figure 6 illustrates the process.

Nonmodal growth can be quite strong in simple
models like Eady’s. However, most improvements to
the model such as adding compressibility, variable
Coriolis, and realistic vertical shear of U reduce
nonmodal growth. Using more realistic initial states
also tends to reduce nonmodal growth (e.g., using a
wave packet instead of a wavetrain; using separate
untilted upper and lower features instead of connect-
ing them with a tilt).

Other Issues

Baroclinic instability has links with barotropic insta-
bility. First, each instability draws energy from mean
flow shear. Second, barotropic instability has a similar
stability criterion (absolute vorticity gradient chang-
ing sign in the domain). Third, there is interference

between the two instabilities. The most unstable
baroclinic eigenmode has optimal structure for a
flow having only vertical shear, but when horizontal
shear is added to that flow a different structure is
needed or the eddy will be sheared apart. The
subsequent structure is unlikely to be as optimal for
baroclinic energy conversion. Hence, the baroclinic
conversion will usually be reduced, though the baro-
tropic growthmechanismmay compensate. Figure 7C
illustrates such a calculation; in this case adding a
purely barotropic flow reduced the growth rate,
even though the barotropic growth mechanism was
activated.

Baroclinically unstable frontal cyclones prefer to
develop in certain regions. The preference may arise
from local conditions, such as lower static stability or
locally greater vertical shear. The illustrative model
above assumes a wavetrain solution; when more
localized development is considered, a variety of issues
are raised.

For example, if one uses a single low as the initial
condition, the solution typically evolves into a chain of
waves as the modal constituents of the initial state

Time =0

1.00

0.75

0.50

0.25

0.00
0.0 1.6 3.1 4.7 6.2

z

Time =1

0.0 1.6 3.1 4.7 6.2

Time =�

0.0 1.6 3.1 4.7 6.2

0.0 1.6 3.1 4.7 6.2

z

0.0 1.6 3.1 4.7 6.2

1.00

0.75

0.50

0.25

0.00
0.0 1.6 3.1 4.7 6.2

1.00

0.75

0.50

0.25

0.00
0.0 1.6 3.1 4.7 6.2

z

1.00

0.75

0.50

0.25

0.00
0.0 1.6 3.1 4.7 6.2

1.00

0.75

0.50

0.25

0.00
0.0 1.6 3.1 4.7 6.2

1.00

0.75

0.50

0.25

0.00
0.0 1.6 3.1 4.7 6.2

z

1.00

0.75

0.50

0.25

0.00
0.0 1.6 3.1 4.7 6.2

1.00

0.75

0.50

0.25

0.00
0.0 1.6 3.1 4.7 6.2

>
>

>
>

x > x > x >
(A) (B) (C)

1.00

0.75

0.50

0.25

0.00

1.00

0.75

0.50

0.25

0.00

1.00

0.75

0.50

0.25

0.00

1.00

0.75

0.50

0.25

0.00

Figure 6 Nonmodal growth as a superposition process. Four initial value linear calculations are shown. The top three rows show three

individual neutral continuummodesat three times.Thebottomrowshows thesumof the threemodesat thegiven time. (A) Initial condition;
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disperse. Alternatively, a wave packet initial condition
might be used consisting of a ‘carrier wave’ multiplied
by an amplitude envelope. The packet evolution
depends upon the mean flow properties and assump-
tions made in the model. However, for reasonable
choices of parameters, one might find a packet that
spreads while propagating downwind. The leading
edge of the packet has mainly faster, wider, and deeper
modes. The trailing edge has slower, shorter, and
shallower waves. It is possible to construct a localized
structure that resists this dispersion by making a
judicious combination of eigenmodes having similar
phase speed, but different zonalwavenumber. Figure 8
illustrates such an example using neutral continuum
modes. When this model is solved as an initial value
problem the packet maintains a localized shape for a
long time. Almost no growth occurs because the
normal modes were filtered out, and there is very slow
phase shifting of the constituent modes. However,
when nonlinear advection is allowed, modes interact
and soon amplitude is injected into all the eigenmodes,
including the growing normal modes, which grow
rapidly in this example.

Studies of regional development spawned subcate-
gories of baroclinic instability. ‘Absolute’ instability
occurs when the wave packet expands faster than it
propagates; the amplitude at a point keeps growing.
‘Convective’ (in the advection sense) instability occurs
when the packet moves fast enough so that growth
then decay occurs as the packet moves past a point.
‘Global’ instability (like the eigensolutions shown
here) has growth that is invariant to a Galilean
transform. Such is not the case for ‘locally’ unstable
modes. Normal modes for zonally varying basic states
look like carrier waves modulated by a spatially fixed
amplitude envelope; the envelope locally modifies the
growth rate (sometimes called ‘temporal’ instability).
‘Spatial’ instability allowswavenumber to be complex
while phase speed remains real.

Nonlinear calculations raise other issues related to
baroclinic instability. One issue concerns equilibra-
tion. The growing wave modifies the mean flow while
drawing energy from it. This places a limit upon the
cyclone development. In PV theory, this may be where
the distortion shown in Figure 5 becomes comparable
to the cyclone width. Waves longer than the most
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Figure 7 Baroclinic energy conversion ðAz ! AeÞ for four models. (A) Lowest-order, square wave solution for an Eady-type model but

including compressibility, increasing vertical shear inU, b ¼ 1. (B) Solutionwhena surface frontal zone, centeredatY ¼ 0, is added to the

lowest-order mean flow U0 and leading ageostrophic advective effects are included (using geostrophic coordinates). The frontal zone

adds wind field: 0:2ð2z � z2Þ U1 where U1 ¼ b1ð1� tanh2 ðaY Þ � b2 � 3b3Y
2 to U0 where a ¼ 1:6; b1 ¼ 3:2; b2 ¼ 1:1, and b3 ¼ 0:03.

Y is scaled by 1100 km. The geostrophic coordinate transform causes the asymmetry. (C) Correction to the conversion shown in (A)

when barotropically unstable horizontal shearU1 is added toU0. If the total wind isU ¼ U0 þ mU1, then the total conversion is ðaÞ þ mðcÞ.
The barotropic shear reduces the growth rate. (D) Modification due to all leading order ageostrophic corrections. If those corrections

are order m, then the total conversion is ðaÞ þ mðdÞ. Ageostrophic conversions reduce the conversion and introduce asymmetry.

(Adapted with permission from Grotjahn R (1979) Cyclone development along weak thermal fronts. Journal of Atmospheric Sciences

36, 2049–2074.)
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unstable wave tend to reach a larger amplitude than
the linearlymost unstable mode. One reason for this is
that they are deeper and so can potentially tap more
APE in the mean flow. Another reason may be that the
larger scale in both horizontal dimensions provides a
longer time for PV contour distortion. Another pos-
sibility concerns the inversionof aPVanomaly:Figure 4
uses the same magnitude of PV anomaly, but the
streamfunction amplitude is larger for the broader PV
anomaly.

‘Life cycle’ studies model cyclones from birth to
peak amplitude to decay. These studies typically find
baroclinic growth followed by barotropic decay. This
cycle fits the observed facts that eddies have a net heat
flux and a net momentum convergence. These studies
also reveal a characteristic evolution of the eddy
structure: upper-level amplification compared to the
linear eigenmodes. An explanation is that saturation is
reached sooner at the critical level and at the surface
while upper levels continue to grow. When averaged
over the life cycle, the vertical distribution of the zonal
mean eddy heat and momentum fluxes becomes more
realistic.

Finally, the atmosphere has higher-order processes
than the QG system. The biggest impact of ageostro-
phy is to break symmetries in the solutions. Figure 7D
shows the leading order ageostrophic effects for a
linear model. Ageostrophy causes enhanced eddy
development on the poleward side (mainly by negative
baroclinic conversion on the equatorward side), builds
mean flow meridional shear, and slows down the

wave. Ageostrophy also causes contours to be more
closely spaced around a low and more widely spaced
around a high.

See also

Cyclogenesis. Cyclones, Extra Tropical. Dynamic
Meteorology: Balanced Flows; Overview; Waves.
Fronts. Quasi-geostrophic Theory. Vorticity.
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Introduction

For ships at sea it has been widespread practice to
include weather information into ship’s logbooks to
document the situation during its operations. For sail
ships, wind information is most important. Beaufort
adopted a scale to estimate the ‘force of the wind’ in
1805 when he was commanding officer of a man of
war. The scale was formulated in terms of the effect of
wind on sail ships of a certain type, but was
subsequently used for other sail ships and steamers
too.

Beaufort’s scale of wind force was devised for use in
the marine environment. However, since 1874 the
Beaufort scale has been used in the international
telegramcode to transmitwind information fromboth
sea and land.While Beaufort had used the behavior of
sail ships in a given wind to define for what conditions
common language terms like ‘gentle breeze’, ‘moder-
ate gale’, ‘whole gale’, or ‘storm’ should be applied, a
different definition was required for land surfaces.
Observers used certain indicators; e.g., behavior of
flags, trees or drag plates and feeling of wind in the
face.

With today’s knowledge of boundary layer meteor-
ology, attempts to estimate the wind force over land
appear questionable. One would need to use indica-
tors of a known drag coefficient at a prescribed height
in an open, level area without obstructions to the flow.
Even then correction for the roughness of the under-
lying terrain and for stability (e.g., day/night)wouldbe
required in order to make estimates comparable.
Obviously, anemometer operation on land is a more
direct method to determine wind speed instead of
estimation. Use of the Beaufort scale to determine
wind speed on land is not recommended and will not
be discussed in the following.

Anemometer measurements on ships are difficult
due to flow distortion. Also, only relative wind speed
and direction are measured. True wind needs to be
calculated by vector addition of the independently
measured course and speed of a ship, a source of
additional error variance. Estimates of Beaufort force
have therefore remained a tool for an extended period
of time.

With improved types of rigging and transition from
sail ships to steamers, the original definition of
Beaufort forces was endangered. The appearance of

the sea, wind effects on rigging, whistling of the wind,
and other phenomena may have helped to pass on a
tradition from experienced observers to younger
colleagues, though not coded in words. Ship officers
in the transition time likely had sufficient training on
sail ships to estimate the wind force even on board
steamers.

In 1927 a description of the Beaufort scale in terms
of sea state was formulated by Petersen as a result of
many years of experience (Table 1). His description
was added later to the wind code by the International
Meteorological Organization (IMO), the predecessor
of the World Meteorological Organization (WMO).
Obviously, IMOdid not view reference to sea state as a
redefinition, but rather as a written account of an
existing practice. It is common habit to call the
redefined scale the Beaufort scale of wind force too.

The use of Beaufort numbers for coding purposes
had initiated early investigations into wind speed
equivalents to Beaufort numbers, often called a
‘Beaufort equivalent scale’. Measured wind speeds
presumably could ensure consistent use of Beaufort
numbers over land and would help to alleviate the
difficulties resulting from change of ship types with
time.Also, estimatedwind force numbers donot really
fit into the concepts of theoretical meteorology, where
wind velocity is used in the basic Navier–Stokes
equations.

From these introductory remarks, we see that there
are at least two tasks:

1. selection of a suitable relation between the force of
wind and the wind velocity, and

2. correction for inhomogeneities in the time series of
winds at sea.

Relation between Beaufort Force and
Wind Velocity: A Problem of Physics
and Regression Interpretation

A sail ship is not a well-defined tool to measure wind
speed. The same is true for the appearance of the sea
surface that depends to some degree on the history
both of the wind field and the wave field and even on
turbulence in the atmospheric boundary layer over the
sea. In retrospect it appears wise that a coarse scale
only was devised for a measure of wind force. As we
can expect only a statistical relation, we need to define
requirements on such a scale.

Following Lindau, an optimal Beaufort equivalent
scale is required to convert Beaufort estimates into
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wind speeds such that derived climatological quanti-
ties like means and variances agree with respective
quantities from unbiased wind measurements.

The attempts to derive a Beaufort equivalent scale
differ in the meteorological setup of the experiment
and in the subsequent statistical interpretation. Diffi-
culties exist in both parts. It appears that misunder-
standings in the interpretation of statistical methods
have hampered the development of and agreement on
a Beaufort equivalent scale more than questions of
measurements and exposure.

One-Sided Regressions

Derivations of Beaufort equivalent scales typically use
regression techniques. For a pair of variables (x, y),
two regression curves can be derived, depending on
which of the variables are considered ‘independent’. A
common notion of regression sounds like: ‘The
regression of y on x gives the best estimate (by the
methodof least squares) of y for a given independentx,
and, similarly, the regression x on y gives the best
estimate of x as a function of independent y’. The one-
sided regression implies the ‘independent’ variable as
nonrandom and attributes all random variation to the
other, as can be seen if one follows the derivation, e.g.,
for a linear fit. The same is true in nonlinear regression,

where typically means of the dependent variable are
calculated for intervals of the independent variable.

The physical problem of one-sided regressions is
seen in the following. If we determine an equivalent
scale from data including error variances in both
variables, the spread of the independent variable is
increased by its random errors and the resulting
regression line has too small a slope. Applying this
regression to climatological variables (e.g., monthly
mean wind speed and variance), the derived variances
will deviate systematically from respective quantities
determined from unbiased measured winds.

In the development of Beaufort equivalent scales,
two approaches have been used:

1. We take the Beaufort number as well determined
and calculate the mean velocities for each interval
of Beaufort number; i.e., we use a nonlinear
regression of wind velocity on Beaufort number.

2. We argue that the average wind velocity is well
measured and the random variations stem from
imperfect estimation of Beaufort numbers. In this
case the regression of Beaufort force on wind
velocity is the given choice.

The pitfall is seen in the following: in one-sided
regression the independent variables are treated as

Table 1 Definition of Beaufort force in terms of sea state

Beaufort

number

Common name Definition

0 Calm Sea like a mirror

1 Light air Ripples with the appearance of scales are formed, but without foam crests

2 Light breeze Small wavelets, still short butmore pronounced; crests have a glassy appearance anddo not break

3 Gentle breeze Large wavelet; crests begin to break; foam of glossy appearance; perhaps scattered white horses

4 Moderate breeze Small waves, becoming longer; fairly frequent white horses

5 Fresh breeze Moderate waves, taking a more pronounced long form; many white horses are formed (chance of

some spray)

6 Strong breeze Large waves begin to form; the white foam crests are more extensive everywhere (probably some

spray)

7 Near gale Seaheapsupandwhite foam frombreakingwavesbegins to beblown in streaksalong thedirection

of the wind

8 Gale Moderately highwaves of greater length; edges of crests begin to break into the spin drift; the foam

is blown in well-marked streaks along the direction of the wind

9 Strong gale High waves; dense streaks of foam along the direction of the wind; crests of waves begin to topple,

tumble, and roll over; spray may affect visibility

10 Storm Very high waves with long overhanging crests; the resulting foam, in great patches, is blown in

dense white steaks along the direction of the wind; on the whole, the surface of the sea takes a

white appearance; the tumbling of the sea becomes heavy and shock-like; visibility affected

11 Violent storm Exceptionally highwaves (small- andmedium-sized shipsmight be for a time lost to viewbehind the

waves); the sea is completely coveredwith longwhitepatchesof foam lyingalong thedirectionof

the wind; everywhere the edges of the wave crests are blown into froth; visibility affected

12 Hurricane The air is filledwith foamand spray; sea completely whitewith driving spray; visibility very seriously

affected

Reproduced with permission from World Meteorological Organization (1970) The Beaufort Scale of Wind Force. Reports on Marine

Science Affairs No. 3. Geneva: World Meteorological Organization.
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nonrandom and all variability from both axes is
ascribed to the dependent variable.

The first approach was applied in early investiga-
tions listing wind speeds averaged for each Beaufort
number, although difficulties both of Beaufort obser-
vations and of the exposure and calibration of wind
instruments were discussed.

However, there are good arguments to use the
second approach, the regression of estimates to
measured speeds. We know that Beaufort numbers
are estimates only, which are influenced by different
external conditions and by uncertainties in the ob-
server’s judgment. Also the quantization error is larger
for estimates due to the larger intervals of the Beaufort
scale compared to speeds inmeters per second. It is not
unreasonable to infer the error of Beaufort number
estimation to be much larger than the uncertainty of
anemometer measurements. Köppen in 1888 already
advocated the averaging of Beaufort estimates for
intervals of measured speeds in order to establish an
equivalent scale.

IMO adopted a scale for official use, corresponding
to today’s WMO code 1100, that was established in
1906 by Simpson, Meteorological Office, London,
using regression of Beaufort estimates to measured
speeds as recommended by Köppen.

Two-Sided Regressions

It is evident that both Beaufort force estimates and
velocity measurements contain random errors, and a
two-way regression would be the appropriate tool.
The best relation between two random variables lies
between the two one-sided regressions. For linear
regressions, in the absence of information on the
respective error variances the best choice would be the
bisector of the angle between the two one-sided
regression lines. It minimizes the orthogonal distances
of observed points from the line. This is equivalent to
assuming the error variances to be the same fraction of
total variance for each of the variables. This so-called
orthogonal regression is certainly better than a one-
sided regression, when both variables are subject to
random errors. However, in a given case, the fraction
of error in the total variance of each variable need not
be the same and an improved technique is required.

For illustration consider the observations at the
OceanWeather Station (OWS) K in Figure 1. The two
one-sided regression lines and the orthogonal regres-
sion line are plotted together with the monthly means
of anemometermeasurements atOWSKandBeaufort
estimates from ships in the vicinity. The fit through the
monthly means deviates from the orthogonal regres-
sion in the direction towards the one-sided regression
of Beaufort numbers onmeasured speeds. This implies

that the uncertainty of Beaufort estimates is a larger
fraction of the total variance than that of anemometer
measurement.

The orthogonal regression yields a better Beaufort
equivalent scale than anyof the one-sided regressions –
in the sense to better reproduce the means of wind
speed from Beaufort estimates. The agreement is even
better than one would expect from error estimates of
wind speed measurements and Beaufort estimates.
The reason for this is seen in the natural variability
between measurements co-located in space and time
that enters as ‘unexplained’ variance in the regression
too.

An Optimized Beaufort Equivalent Scale

Wind speed measurements at OceanWeather Stations
(OWSs) and Beaufort estimates from passing volun-
tary observing ships (VOSs) were used in several
attempts to derive an improved equivalent scale. Some
averaging is needed to reduce errors of measurements
in respective observations and also to account for the
natural variability that enters because VOSs pass
OWSs at some distance.

Lindau developed a sophisticated method to
determine effective variances. From simultaneous
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observations of pairs of VOSs, differences were
obtained and variances calculated as a function of
distance between the ships. Extrapolating to fictitious
zero distance, the error variances of VOSs were
obtained. Using the same technique on pairs of
OWSs and VOSs, the error variances of OWSs were
also determined.

Knowing the variances, influence of errors and
natural variability could be reduced by averaging in
time for OWSs and in space for VOSs. A suitable area
around an OWS was selected to contain the same
variance in space from VOS than at the OWS in time
for 1 day. This radius and the appropriate number of
VOS observations were determined separately for
each OWS and each season.

With the error variance at OWS and VOS reduced
by averaging the appropriate number of observations,
and the natural variability being assured to be the
same, the ‘orthogonal’ regression yields the correct
relation. Instead of straight lines, Lindau used the
method of cumulative frequencies in order to admit
nonlinearities. Anemometer heights at weather ships
are near 25m. Wind measurements at OWSs were
reduced to 10m height using a diabatic wind profile.
The resulting equivalent scale is thus applicable to
10m height. The results are given in Table 2 and
depicted in Figure 2.

DiscussionofHeights forEquivalentWindVelocities

Beaufort estimates per se have no natural height above
the sea surface. However, equivalent scales give wind
speeds. Because of the approximately logarithmic
wind profile in the atmospheric boundary layer, for
applications of the Beaufort equivalents the corre-
sponding height needs to be known.

Code 1100 in use from1926 to 1946was believed to
refer to 6m height. Since the required standard height
of anemometers had changed from6 to 10m, a slightly
changed code 1100was introduced in 1946 byWMO,
supposedly applicable to 10mheight. Both versions of
code 1100 were based on data sets into which
observations from the Scilly Islands entered in a
relatively large number. However, wind speeds were

Table2 Selection of Beaufort equivalent scales, given inms�1. Often knots (1 kn5 0.5144ms� 1; 1ms� 151.944 kn) are usedas the

unit. The last line gives the reduction factor to compare equivalent scales for reference heights of 25 and 10m, derived for the ensemble of

measurements at North Atlantic OWSs

Beaufort 0 1 2 3 4 5 6 7 8 9 10 11 12 Source

IMO (1926) 6m 0.0 1.1 2.5 4.3 6.3 8.6 11.1 13.8 16.7 19.9 23.3 27.1 a

Code 1100 10m – 0.8 2.4 4.3 6.7 9.4 12.3 15.5 18.9 22.6 26.4 30.5 B34.8 a

Lindau 10m 0.0 1.2 2.7 4.6 7.2 9.7 12.1 14.6 17.3 20.2 23.4 27.1 31.4 b

CMM-IV 18m 0.8 2.0 3.6 5.6 7.8 10.2 12.6 15.1 17.8 20.8 24.2 28.0 B32.2 a

Lindau 25m 0.1 1.2 2.8 4.9 7.7 10.5 13.1 15.9 18.9 22.2 26.0 30.3 35.4 c

Kaufeld 25m 0.4 1.9 4.1 6.4 8.7 11.0 13.4 15.9 18.7 21.8 25.1 28.6 32.4 d

Reduction factor

25 to 10m

0.96 0.94 0.94 0.92 0.92 0.92 0.92 0.91 0.90

aReproduced from WorldMeteorologicalOrganization (1970)TheBeaufortScaleofWindForce. ReportsonMarineScienceAffairsNo. 3.

Geneva: World Meteorological Organization.
bReproduced from Lindau R (2001) Climate Atlas of the Atlantic Ocean. Berlin, Heidelberg: Springer Verlag.
cReproduced from Lindau R (1995) A new Beaufort equivalent scale. Proceedings of the International COADS Winds Workshop. Kiel:

Berichte aus dem Institut für Meereskunde Kiel, No. 265 (available from Institut für Meereskunde, 24105 Kiel, Germany or NOAA,

Environmental Research Laboratories-CDC, Boulder, CO 80303, USA).
dReproduced from Kaufeld L (1981) The development of a new Beaufort equivalent scale.Meteorologische Rundschau 34: 17–23.
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taken at the small island of St Mary’s that features
several heights reaching 30–50m above mean sea
level. It is uncertain towhat height in undisturbed flow
over water the measurements would correspond.

Lindau’s improved equivalent scale settled the
problem of reference height by using anemometer
measurements of known heights and reducing winds
to heights of 10m individually with the aid of the
diabatic wind profile. He could also show that for the
WMOcode 1100 of 1946 a reference height of 10m is
reasonable. The anemometer measurements at OWSs
are not corrected for flow distortion. One can hope
that the exposure of instruments at OWSs and the
mode of ship operation at the stationwill make this an
acceptable error.

Often a reduction of velocity measurements from
anemometer height to reference height is necessary.
Typically, a constant reduction factor, derived from
the neutral wind profile, is used. However, slightly
unstable conditions prevail atmost parts of the oceans,
approaching near-neutral conditions at higher wind
speeds. For the mix of stabilities at the North Atlantic
OWS, a reduction factor of 25–10m decreases with
wind speeds from B0.94 to B0.90; see Table 2.

Discussion of Other Scales

The matter of Beaufort equivalent scales found
renewed interest in the second half of the twentieth
century. Especially within the wave modeling com-
munity, still in 1990 the opinion prevailed that the
WMO Beaufort equivalent scale (code 1100) is in
error. For example, theWMOCommission ofMarine
Meteorology produced a scale – known as CMM-IV
scale – using regression of anemometer measurements
on Beaufort estimates, similar to the scale of Cardone.
Regrettably, in the new derivations the variable with
small error variances was regressed on a variable with
obviously much larger error variances, leading to
biased scales.

Fortunately, the governing bodies ofWMOadhered
to code 1100, though admitted application of CMM-
IV and similar scales for scientific purposes, so-called
scientific equivalent scales. In retrospect, the scientific
scales are the wrong choice. They give biased climato-
logical means. The use of ‘scientific’ scales in wave
modeling is even more questionable since this practice
is at variance to the use of code 1100 in operational
weather analysis and forecasts. Seen in the light of the
correct derivation by Lindau, it turns out that the
insight of Köppen and Simpson around 1900 resulted
in a scale, WMO code 1100, that is less biased than
some scientific scales of 70 years later. (It might be
noted that the description of Köppen’s method in the
WMO Report on marine science affairs of 1970 is

reversed to what Köppen advocated and used: i.e.,
regression of Beaufort on wind speed.)

The regression technique of cumulated frequencies
applied by Lindau had been used by Kaufeld before
him. It has the advantage to account for non-uniform
distribution of observations at the tails of the frequen-
cy distribution. This technique can be seen as the
nonlinear equivalent to the ‘orthogonal’ two-sided
regression. Though the different error variances of the
twovariableswere not accounted for,Kaufeld’s scale is
certainly preferable to the so-called scientific scales
derived by one-sided regression of wind speed on
Beaufort force.

Kent and Taylor reviewed a selection of Beaufort
equivalent scales and the techniques used in their
derivation, and concluded that the Beaufort equiva-
lent scale of Lindau is to be preferred when creating a
homogeneous monthly mean wind data set from
anemometer and visual winds in COADS.

Time Dependence of Beaufort
Estimates

Increasing interest in long time series of climate data
inevitably leads to the question of whether the
reported winds from the oceans are homogeneous in
time. We mentioned the slow change of observing
practices. There have been changes in coding practices
too. Originally, Beaufort forces were used in trans-
mitting data. Effective 1948, WMO changed from
Beaufort forces to transmit wind speeds in knots
(1 knot equals 1 nautical mile per hour or 0.51m s� 1).
For a short time of transition, the erroneous use of
codes may have influenced reported winds, but no
long-term trend is expected.

There is an increasing number of ships carrying
anemometers. Determination of true wind from ane-
mometer measurements requires vector subtraction of
course and speed of the ship, certainly an additional
source for errors and inaccuracies. Also the code
indicating the data as either measured (anemometer)
or estimated (Beaufort scale) is known to be less
reliable. Peterson found frequency distributions of
estimated winds to show significant secular changes
and ships carrying anemometers to report higher
estimatedwinds than shipswithout anemometers. The
latter is most embarrassing, since no single reason and
simple cure can be given.

On the other hand, a trend towards higher wind
speeds could well be an indication of climate change.
Growing amounts of greenhouse gases change the
radiation balance. At the oceans surplus energy can
fuel atmospheric circulations; e.g., midlatitude and
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tropical storms. In fact, plotting the recorded wind
speeds at face value shows significant trends.

Ramage showed that reported ocean wind speeds
exhibit secular changes. He studied monthly mean
wind speeds at the Singapore–South China route,
taking the along-track pressure differences for refer-
ence. He attributed the decrease ofwind speed prior to
World War II to transition from sail to steam and the
increase thereafter to a growing portion of ships
carrying anemometers; a true secular trend could not
be isolated.

Taking the evidence together suggests deriving time-
dependent corrections for the Beaufort equivalent
scale. The obvious tool is to use independently
measured pressure gradients as reference, presuming
the relation between surfacewind and pressure field to
be invariant. Unfortunately, ships tend to follow
certain lines providing pressure differences rather
than full horizontal pressure gradients. Lindau devel-
oped a statistical method to derive wind velocities
relative to pressure gradients. He used simultaneous
wind vectors and pressure differences from pairs of
ships within reasonable distance. Pressure differences
were sorted according to the relative wind direction
and the magnitude of pressure gradient obtained by fit
(Figure 3). Errors in wind direction estimated at VOSs
are equivalent to a smoothing of the pressure differ-
ences and have been accounted for.

Taking 1960–71 as the base period, time-dependent
corrections for estimated wind speeds have been
derived for the North Atlantic between 201N
and 601N . From the uncorrected data one would
identify long-term trends of different sign before
and after World War II, while corrected for drift of
scale the apparent increase of wind speed after 1950
disappears (Figure 4). Considering the full time
range from 1890 to 1990, there appears to be no
physically significant trend over the North
Atlantic Ocean.

Unresolved Issues

The low and high velocity ends of the Beaufort scale
are less well determined. This is not important for the
low wind speeds. For the high wind speeds, obviously
too few observations are available to establish Beau-
fort equivalents. In typical listings, speed ranges for the
Beaufort numbers are given as well as averages.
Beaufort number 12 is usually taken as unlimited,
i.e., with no equivalent speed assigned. Bortkovskii
fitted aMaxwell distribution to highwind speeds from
winter Atlantic OWS observations for the description
of storminess in air–sea interaction studies. This
method could be used to establish a mean equivalent

velocity for Beaufort 12, under the premise of
stationarity of the time series.

Beaufort equivalent scales have been determined
mainly from observations at the North Atlantic but
accepted by WMO for international use. If sorted by
ship call sign (corresponding roughly to national
origin of data) there are differences in mean results.
Noting differences in time as well as in national use, it
would be desirable to check the equivalence scale for
consistency at other oceans too. The indication that
anemometer-carrying ships report estimated winds
higher than ships without an anemometer calls for
further study too.

Collecting marine surface observations has been a
habit of generations. In the beginning, national serv-
ices collected logbooks. Later data were transferred
to punched cards and collected sets (referred to as
‘decks’) binationally exchanged. Multinational col-
lections finally resulted in the Comprehensive Ocean
AtmosphereData Set (COADS).Wind observations at
sea were collected more systematically since about
1860 – welcome information for climate studies. It is
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hoped that the methods available nowwill be adopted
by the international community to provide for the
production of a homogeneous, unbiased time series of
ocean wind fields to be used in future research.
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Geological Sources of Carbon

Historical Background

Carbon has probably been present on the Earth’s
surface from the earliest accretion of the planet.
During the Hadean Eon (4.56 to about 4.0Ga ago,
where 1Ga is 109 years), the atmospherewas probably
rich in carbon gases. Frequent major impacts would
have occurred, the largest of which would have
removed any existing atmosphere, to be replaced by
fresh infall and degassing from the interior. Volcanoes
in the early ocean would have hosted vigorous
hydrothermal systems, and basalt ejecta after each
impact would have reacted with sea water, with
precipitation of carbonate. At the close of theHadean,
the atmospherewas probablymainly carbon gases and
nitrogen, over a deep ocean.

On Venus, the loss of hydrogen atoms from the top
of the atmosphere removed nearly all hydrogen from
the water that once covered the surface of the planet,
dehydrating it. The atmosphere became dominantly
carbon dioxide, and is now in effective equilibrium
with the surface rocks, such that carbon dioxide and
rock silicate react to give carbonate and quartz, at
roughly 5001C and 90MPa. There is now very little
hydrogen left in the planet, except in sulfuric acid in
clouds. The interior is probably consequently oxidized
by residual oxygen.

OnEarth, planetary evolution proceededdifferently
and the surface has probably sustained liquidwater for
over 4Ga, with occasional excursions into somewhat
more extreme states, including possible snowball
states (but always with some liquid water). Through-

out the Archean Eon (roughly 4.0–2.5Ga ago) the air
was probably mainly carbon dioxide and nitrogen,
over deep oceans, possibly with methane-rich epi-
sodes. During the Archean, life appeared, and has
dramatically modified the composition of the atmos-
phere, such that the air has probably been a biological
construction for most of the past 3.5Ga.

The first possible evidence for carbon-managing life
on Earth is in 43.7-Ga-old rocks in Greenland. By
around 3.5Ga ago, certainly by 3.0Ga ago, oxygenic
photosynthesis was the dominant control on the
carbon gas content of the atmosphere. Since then, O2

and CO2 have been obverse and reverse sides of the
same coin. The chiefmediators of the interexchange of
carbon and oxygen between organic matter and air
were first the cyanobacteria and purple bacteria.
Today, descended from them, are the chloroplasts
(from cyanobacteria) and mitochondria (from purple
bacteria) in plants and mitochondria in animals. The
enzyme rubisco, which is of great antiquity, is the
principal means of capture of carbon from the air, but
rubisco in effect works in reverse if concentrations
change. In the Proterozoic Eon (2.5–0.56Ga ago) the
air changed greatly.Most opinion is that initially in the
Archean the air may have been dominantly carbon
dioxide and nitrogen, but possibly around 2.3–2.0Ga
ago, there may have been a major event when
oxygen increased markedly in the air, and the atmos-
pheric burden of its reverse, carbon dioxide, dropped.
Since then, the atmosphere has been made of nitro-
gen and oxygen with other minor gases, and water
vapor. Only the argon in the air is not biologically
managed.

In the Phanerozoic Eon (the last 0.56Ga of Earth
history), the development of animal life with hard
parts, such as shells, precipitated carbonate widely
(although it should be noted that microbial precipita-
tion had occurred extensively in the Precambrian).

The colonization of the land, and the development
of dense forests from the Carboniferous onwards, has
allowed the development of a subtle and complex
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atmospheric management regime, with short-term
regulation of the carbon dioxide/oxygen balance by
processes such as fire and seasonal growth/decay
cycles. Although Precambrian oil is known, the
deposition of oil and coal has particularly occurred
in the Phanerozoic, especially from the start of the
Carboniferous. This has had substantial impact on the
global carbon budget.

Nevertheless, the basis of the biogeochemical reg-
ulation of the air remains the same – chloroplasts and
mitochondria, descended from Archean bacteria, and
the inorganic chemical constraints of weathering and
precipitation.

Geological Stores of Carbon

Over time, large geological stores of carbon have
developed (Figure 1). Though there are estimates of
the size of these stores, they are very poorly con-
strained. Isotopic evidence suggests that for every four
carbon atoms degassed from the interior of the Earth,
three have been sequestered into carbonate, and one
captured by rubisco and incorporated into organic
matter.

The highest-level geological store of carbon is
organic matter in soft sediment and in piles of
sediment only affected by burial metamorphism.
This matter includes buried organic material that is
slowly being processed by microbial recyclers and by
the inorganic effects on buried organic matter of the
burial pressure and temperature. In addition, much
charcoal is stored in sediment, deposited from erosion
after forest fires. Methanogens in sediment, and also
inorganic metamorphism of deeper carbon-rich sedi-
ment, producemethane. In theArctic at a few hundred
meters depth, and elsewhere in thick piles of sediment
on continental margins worldwide under 500–1000m
water, very large quantities of methane are stored as
methane hydrate, an icelike methane/water com-
pound. Estimates of the total methane store are
around 1019 g, an order of magnitude more carbon
than there is in the biosphere.

Sedimentary rocks include stored carbon in oil,
coal, and carbonate. Oil, gas, and coal are metamor-
phic products. Low-grade thermal maturation of
organic matter produces oil and gas; coal comes
especially from buried plant matter such as Carbon-
iferous trees and bog deposits. Particular geological
periods have, for various reasons, produced remark-
able amounts of carbon-rich deposits. Cretaceous
rocks host a disproportionate proportion of the
world’s oil, possibly reflecting the organic blooms
after huge carbon gas emissions in the Cretaceous
from mantle–plume volcanism. Carboniferous rocks,
as their name implies, are rich in coal across Europe

and North America, formed in ancient equatorial
rainforest settings.

Carbonate sedimentary rocks are very widespread,
particularly in Mesozoic sequences. Today, carbonate
reefs still occur (e.g., the Australian Great Barrier
Reef), but some Mesozoic reefs may have been
immense. The Earth’s crust also contains a wide
assemblage of crustal metamorphic rocks that include
carbon (e.g., diamond) that has at one timebeen cycled
through the atmosphere.

Geological Cycling

Geological processes cycle carbon continually from
the interior to the atmosphere and then back to the
interior. Carbon is degassed from volcanoes as carbon
dioxide, carbon monoxide, and methane. Some vol-
canoes also emit carbonate lavas (e.g., in the East
African rift region), and rare kimberlite eruptions
bring up carbon directly as diamonds.

The volcanic carbon gases are either (75–80%)
rained out and, via bicarbonate, eventually deposited
as carbonate, when combined with calcium, magne-
sium, strontium, etc., weathered from rocks, or (20–
25%) captured by organic matter and eventually
deposited as such (e.g., kerogen).

Carbon is returned through the interior of the planet
in several ways. Some sediment, especially carbonate,
coal, and oil, is laid down directly on continents and
eventually metamorphosed or deformed in mountain
building events (with loss of CO2 back to the air).
Other sediment is subducted and carbon dioxide is
either driven off into the overlying lithosphere at a few
tens of kilometers depth, or driven off at deeper level,
eventually to ascend and return to the air via volca-
noes. A small amount of carbon is not returned to the
air but continues down into the deeper mantle and,
in turn, a small amount is emitted from deep mantle
via deep-sourced mantle–plume volcanoes such as
Hawaii.

Reservoirs and Fluxes of Carbon in the
Ocean–Atmosphere–Biosphere
System

Figure 1 summarizes the main reservoirs of carbon in
the atmosphere–ocean system, and the main fluxes
between them. Biological stores are small but the
annual fluxes are large. Geological stores are vast,
many orders of magnitude larger than the biological
stores (though too poorly quantified for numbers to be
given here), but annual fluxes are relatively small.
Geological stores include carbon in carbonate (about
three-quarters of Earth’s near-surface store of carbon)
and also once-organic carbon (about one-quarter),
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such as coal, oil, and gas. Hydrate reserves of carbon
(mainly methane in offshore sediments) are probably
around 1019 g.

The atmosphere contains about 730 Pg carbon, and
the ocean about 38 000 Pgwhere 1 petagram is 1015 g,
or a billion tons, using the US version of billion). Soil
carbon is of the order of 1500 Pg, and the total plant
carbon is around 500 Pg. Estimates of reservoirs and
fluxes given here are from the Intergovernmental Panel
on Climate Change (IPCC), the best recent overall
assessment.

Global Carbon Cycles

The global carbon system can be seen as a set of nested
cycles (Figure 1). The inmost cycles are the atmos-
pheric cycles. Carbon dioxide has an effective lifetime
in the air of several centuries.Once emitted, an atomof
carbon in a molecule of carbon dioxide is likely to
survive in the air over this period before the carbon is

returned to the water or ground, although it may be
processed in the meanwhile. The first cycle is the
diurnal photosynthesis/respiration cycle, within the
seasonal cycle of growth and decay. Around this is
wrapped the longer-term cycling of carbon between
air and the Earth’s surface (mostly ocean) over
millennia (see exchanges in Figure 1).

On an even longer time scale the geological cycles
operate. Carbon dioxide is taken up as carbonate in
sediments and altered seafloor rock. The carbonate is
either carried down subduction zones by the plate
system, and there driven off to emerge as carbon
dioxide at volcanoes, or is accreted into continents,
where carbon dioxide is driven off by metamorphic
processes. Calcium, strontium, etc., erode from sili-
cate rock, then combine with the carbon dioxide to
precipitate carbonate and return the cycle. In addition,
some carbon is accreted to the bases of continents as
diamond. On a longer time scale yet, carbon is
returned from the deepmantle to themidocean ridges,
and thence back to the surface.
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Geological sources, in addition to the volcanic
carbon gases already discussed, include metamorphic
degassing, through carbonated water in hot springs
and other emissions. The total flux from geological
sources is minuscule compared to annual fluxeswithin
the biosphere, but over hundreds of millions of years
the geological cycling exchanges surface carbon
effectivelywith the interior.On land and in the oceans,
the principal intermediary between atmospheric car-
bon and captured carbon is now, as in the past, the
enzyme rubisco. This preferentially selects isotopically
light 12C, and consequentially inorganic carbonate
made from the residual carbon is preferentially
enriched in the heavier 13C. By means of rubisco,
plants capture carbon from the air. A substantial
amount of the carbon is respired back by the plants,
andmost of the rest by animals, bacteria, and archaea.

Carbon Cycling on Land

Most carbon capture on land is in the growth of plants.
All residents of temperate latitudes are familiar with
the seasonal cycle of growth and decay. About 120
petagrams of C per year is captured by photosynthesis
in plants (gross primary production: GPP), of which
half (60 PgCyear�1) is very rapidly respired. Thus net
primary production (NPP) of the land is about
60 PgC year�1 – contrast this with the total carbon
burden of the atmosphere of 730 Pg.Most of this NPP
is fairly rapidly returned to the air. About 4 PgC year�1

is returned via fires,mostly as CO2 butwith significant
CO and CH4. Fires produce significant charcoal,
which is very resistant and can survive for hundreds of
millions of years abstracted from the air; thus, to this
extent, fire is a long-term remover of carbon from the
air. Animals and microbially mediated decay return
55 PgC year�1 via heterotrophic respiration. Much of
this occurs via detritus (e.g., leaf fall) – some of the
detritus decays quickly, while a part enters the soil
carbon reservoir and returns to the air over a much
longer time period. The flux of dissolved carbon
captured via plants to inert soil carbon is about
0.4 PgC year�1, eventually carried by rivers as dis-
solved organic carbon (DOC). Added to the
0.4 PgC year�1 flux of dissolved inorganic carbon
(DIC) derived from CaCo3; this gives a total river
flux of about 0.8 PgC year�1.

Carbon Cycling in the Oceans

Air exchanges gas with water, for example in the
bubbles of wave crests under the winds. Carbon
dioxide dissolved in the ocean (DIC) occurs as CO2,
HCO�

3 , and CO2�
3 . The DIC input to the oceans is

about 90 PgC year�1, and return about 88 PgC year�1.

The near-surface waters of the oceans host plankton
photosynthesizers, including both abundant cyano-
bacterial picoplankton and a wide variety of euka-
ryote plankton. Both cyanobacteria and the genetical-
ly related chloroplasts of eukaryote phytoplanktonuse
rubisco. Feeding on these are zooplankton and the
complex chain of marine life. The GPP of the oceans is
about 103 PgC year�1, of which 58 PgC year�1 are
recycled by autotrophic respiration, leaving anNPP of
45 PgC year�1 (compare with the 60 PgC year�1 land
production – see below). In total for land and sea, the
annual NPP is over 100 PgC, and gross annual
drawdown from the air is B200 PgC, contrasted to
the atmospheric reservoir of 730 PgC. Much of this is
rapidly recycled back to the air.

However, some material remains abstracted from
the air. The detritus from particulate organic matter
(POC) in the oceans (everything from dead bacteria to
deadwhales), plus the sinkingofDOC, exports carbon
into the deeper water below the thermocline that
marks the lower boundary of the biologically produc-
tive upper waters. Physical exchange transports
33 PgC year�1 downwards as DIC. In this deeper
water below the thermocline, heterotrophic respira-
tion by marine animals occurs, and 42 PgC year�1 is
recycled upwards as DIC. Some material descends to
the sea bottom. Also, at the seafloor, both deposition
(in shallow water) and dissolution of carbonate occur
(in the deepest water).

Geological Controls

Volcanism emits variable quantities of carbon gases to
the air. In many years, few eruptions may occur; then
many in one year; rarely, cataclysmic eruptions occur.
Metamorphism also causes emissions of carbon gases,
principally carbon dioxide via hydrothermal waters
(e.g., in hot springs). Total geological emissions are
B0.02–0.05 PgC year�1, but highly variable.

Chemical weathering is the long-term remover of
carbon from the ocean–atmosphere system. Rain-
water and carbon dioxide form carbonic acid. This
then reactswith rock silicate to extract the calciumand
precipitate with it as carbonate:

H2Oþ CO2 ! H2CO3

CaSiO3 þH2CO3 ! CaCO3 þ SiO2 þH2O

The carbonate and quartz are eventually returned
either to the mantle by subduction or to the deep crust
by tectonic processes, and cycled back again to the
surface either via magma or as metamorphic volatiles.

Dissolution of carbonate rock also occurs.Carbonic
acid in soils attacks limestones, and the net result is
transport of carbonate to the seafloor and return of
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carbon dioxide to the air. As the carbonic acid is
derived from the atmosphere, this dissolution/precip-
itation cycle has no net impact on the carbon dioxide
burden of the air, but is important in the fluxing of
dissolved inorganic carbon.

CaCO3 ðlimestonesÞ þH2CO3

! CaCO3 ðshells; etc:Þ þ CO2 þH2O

Global Distribution of Carbon Dioxide

The NOAA-CMDL ‘flying carpet’, diagram (more
properly the zonally-averaged surface of mole frac-
tion), which incorporates measurements from a
worldwide net of monitoring time series, illustrates
carbon dioxide distribution in the world atmosphere
(Figure 2). The figure is built from long-term time
series ofmany stations, using intercalibrated data sets.

Several features of the diagram are notable. First, let
us consider the interhemispheric gradient. There is far
more land in the Northern Hemisphere, and the
dominance of the north reflects the high biological
productivity of the northern land biomes. Themarked
seasonality is caused by the seasonal variation – in
northern spring, massive uptake of carbon dioxide
occurs as leaf growth takes carbon dioxide out of the
air. In return, the rise in northern autumn, leaf fall, and
microbial oxidation return the carbon dioxide to the
air (note that the word ‘autumn’ is used here to avoid
commenting on the ‘fall rise’). The diagram is shown
on a multiyear scale, but local continuous records
show further diurnal detail, as carbon dioxide is taken
up in the warm afternoon, and respired back in the
cooler evening.

The Southern Hemisphere shows reverse seasona-
lity,which records both local southern effects, and also
the windblown transport from the north.

Overriding the year-on-year cycles, the steady
anthropogenic growth is well illustrated in the dia-
gram, especially in the South Pole record.

Methane and Carbon Monoxide

Methane

The major sources of methane are methanogenic
archaea and combustion, both natural and human-
induced. Somewhat over 500Tg (1Tg is 1012 g or a
million tons) of methane are emitted each year, of
which roughly 300Tg are in some way linked to
human activity and 200Tg are from broadly natural
sources. The major natural sources are wetlands,
including both tropical wetlands such as African
papyrus swamps and South American swamps, and
boreal (northern)wetlands andpeat bogs (especially in
Siberia andCanada). Natural grass and forest fires, set
by lightning, are also major sources. Human-induced
emissions are from leaks from the gas industry, from
coal mines, from cows and other domestic ruminants,
from rice fields, and from human-lit fires, including
tropical wildfires. Note that in some cases defining the
natural/human division is not simple: human-planted
rice fields emit, but may replace natural wetlands that
also emitted methane.

Methane has a lifetime in the air of about a decade in
the modern atmosphere. The principal sink of meth-
ane is OH, fromwater vapor in the atmosphere. OH is
most abundant in the tropical troposphere, and OH
abundance follows the sun in its progress north and
south. Thus this is the main locus of methane removal.
The second, much more minor sink of methane is soil
microbial oxidation by methanotrophic bacteria.

The methane flying carpet diagram (Figure 3)
appears similar to the CO2 diagram, but is subtly
very different. The major sources are seasonal –
wetland emissions vary logarithmically with temper-
ature and are thus much greater in hot mid-to-late
summer. In contrast, fossil fuel emissions are larger in
winter, especially gas leaks and emissions from coal
pulverization. In any place, the chief sink, OH, is
sharply seasonal, moving across the (mainly tropical)
latitudes with the sun.

The diagram illustrates the dominance of the
Northern Hemisphere, especially in human activity.
The marked seasonality in the north records both
production and the southward transport of methane
as low-methane summer winds enter the cool north
and displace the high-methane northern air south-
wards. In the Southern Hemisphere, fires contribute,
as does the arrival of high-methane northern air.
The South Pole record illustrates the overall growth
well.
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Carbon Monoxide and Minor Carbon Gases

Carbon monoxide is produced by incomplete com-
bustion, and also as a stage in the atmospheric
oxidation of methane. The chief natural sources of
carbon monoxide are wildfires. These include boreal
(northern) forest fires, that occur infrequently in any
one site, but sometimes spread over very large areas.
Tropical savanna grassland fires, in contrast, are often
annual, and emit very large amounts of carbon
monoxide. Recently, equatorial tropical rainforest,
which rarely burns naturally, has been set on fire and
has become a source.

The other major source of carbon monoxide is
combustion in industrial, heating, and transport
activities. Partial combustion in inefficient power
plants and in inefficient heating systems (e.g., in
east Asia) produces large amounts. Cars until
recently were major emitters, but this source has
been greatly reduced since the advent of catalytic
converters.

There are a wide array of natural and human-made
minor gases containing carbon, such as methyl com-
pounds (chloride, bromide, dimethylsulfide), terpenes,

etc., and anthropogenic gases including the chloro-
fluorocarbons (CFCs).
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Introduction

‘Heavy metals’ is a widely used but poorly defined
term. This article will consider all metallic elements in

the periodic table except those in groups 1 and 2. This

definition will include metals such as aluminum,

which are not heavy in terms of their atomic weight

but which are emitted, transported, transformed and

deposited via the atmosphere in a similar way to other

true heavymetals.Mercury is the onlymetal to behave

very differently since it exists in the atmosphere in the
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gas phase rather than on aerosols. In the context of
global biogeochemical cycling, atmospheric transport
of heavymetals is amajor transport route and one that
has for some metals been significantly perturbed by
human activity. The following sections will briefly
describe the sources of some heavy metals to the
atmosphere, their transport and cycling through the
atmosphere, and their subsequent deposition, andwill
also consider the biogeochemical significance of the
atmospheric transport rate. Because of its fundamen-
tally different behavior, a separate section is devoted to
mercury.

Sources

Metals are emitted to the atmosphere from a wide
range of sources. Some of these emissions are entirely
natural, such as from volcanoes or from biological
emissions from land and the oceans. Others arise from
natural processes that may have been increased by
human activity, such as the formation of wind blown
dust or biomass burning. Similarly, sea salt formation
is a natural process, but its significance as a source of
metals to the atmosphere may have been modified by
human perturbation of the concentrations ofmetals in
sea water. Other sources of metals to the atmosphere
are essentially entirely anthropogenic, arising from
combustion processes and industrial activity.

Table 1 lists best estimates of fluxes to the atmos-
phere from the known sources for a group of metals
whose fluxes are thought to have been significantly
modified by human activity. The table is not intended
to represent a comprehensive list of sources. Indeed,
for many metals we do not know sources well.
Furthermore, fluxes from human activity can change
dramatically. Emissions of lead worldwide, for in-
stance, have increased more than 25-fold. Even in
remote areas of Europe, it is possible to show
increasing lead concentrations in sediments dating
back 2000 years associated with the Romans. Con-
centrations increased further as populations and
industrialization developed over the last 1000 years.

The biggest increase from the 1950s was predomi-
nantly due to the use of lead additives in automobile
fuels. This source has declined very rapidly from the
1980s onward as a result of the removal of such
additives. Thus Table 1 serves only to estimate the
wide range of specific natural sources that are impor-
tant for at least some elements, and the scale of
perturbations of the total fluxes arising from human
activity. The elements listed in Table 1 have been
selected to represent those for which we know that
perturbation are large. For many other metals, such as
iron, aluminumandmagnesium, perturbations appear
to be much smaller. This is illustrated inTable 2. Here
the data are based on direct measurements of the
metals in the atmosphere, which are expressed as
enrichments of the observed concentrations over those
predicted if soil dustwere the only source.As is evident
from Table 1, this assumption is simplistic, but large
enrichments such as seen in Table 2 do demand that
there are large sources in addition to soil dust. In the
case of a few metals such as selenium, it is likely that
other natural sources, such as biological emissions of
alkylated selenium compounds from sea water, are
responsible for the enrichments. However, in most
cases it is generally accepted that the large enrichments
reflect the fact that anthropogenic emissions now
overwhelm natural emissions for some metals as
illustrated in Table 1.

Transport and Transformation

Metals emitted to the atmosphere with soil dust retain
this association and hence, like soil dust itself, are
associatedwith aerosols of an equivalent aerodynamic
mass median radius of 0.5–2 mm during long-range
atmospheric transport. Larger-sized particles will be
found close to sources or occasionally during highly
energetic long-range transport. Metals derived from
bursting of bubbles in seawater are associatedwith sea
salt particles that typically have radii of 1–5mm.

By contrast to these metals associated with aerosol
particles formed directly by physical processes, metals

Table 1 Worldwide emissions of trace metals (109 g y�1)

Source Arsenic Cadmium Copper Mercury Lead Selenium Zinc

Wind-borne soil particles 2.6 0.2 8.0 0.05 3.9 0.2 19

Sea spray 1.7 0.1 3.6 0.02 1.4 0.5 0.4

Volcanoes 3.8 0.8 9.4 1.0 3.3 0.9 9.6

Forest fires 0.2 0.1 3.8 0.02 1.9 0.3 7.6

Continental biogenic emissions 1.6 0.2 2.9 0.6 1.5 3.7 5.1

Marine biogenic emissions 2.3 0.05 0.4 0.8 0.2 4.7 3.0

Total natural emissions 12 1.4 28 2.5 12 10.3 45

Anthropogenic emissions 19 7.6 35 3.6 332 6.3 132

Based on Nriagu (1989).
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released as gases (either of biogenic origin or arising
from hot combustion processes) condense onto exist-
ing particles on the basis of surface area. Hence, such
metals will be associated with finer modes of aerosol.

During aerosol transport, cloud cycling can induce
changes in size distribution, as different aerosol
particles are incorporated into cloud droplets that
subsequently evaporate to produce a mixed aerosol
particle. Despite this complication, it is remarkable
that the aerosol size distribution appears to be very
effectively retained over very long transport distances,
as illustrated by data from Enewetak Atoll in the
central Pacific Ocean shown in Table 3.

During atmospheric transport, aerosols containing
metals will become hydrated and the metals may
become solubilized. This solubilization process is
highly pH-dependent, with all metals being more
soluble at low pH. Crustal aerosol itself is often
alkaline and hence high dust loadings may suppress
solubility. In contrast, anthropogenic emissions of
gases such as SO2 and NO/NO2 can acidify atmos-
pheric aqueous solutions and thus promote solubility.
Indeed, some trace metals are known to be able to
catalyze oxidation of SO2, and hence a positive
feedback enhancing solubility is possible. During
long-range transport, aerosols will be cycled through
clouds a number of times, thereby encountering a
range of pH values that may include highly acidic
waters. There is evidence to suggest that such pH
cycling is not completely reversible and that repeated
cycles enhance the solubility of metals at a particular
final pH relative to the initial aerosol solubility at that
same pH.

In the case of iron, photochemical reactions can lead
to the formation of OH radicals (eqn [I]), which are

powerful oxidizing agents. These reactions can also
modify metal solubility.

½FeðIIIÞðOHÞðH2OÞ5�2þ

þH2O �!
light

½FeðIIÞðH2OÞ6�2þ þOH ½I�

A further process that may significantly modify the
behavior of tracemetals during atmospheric transport
and transformation is organic complexation. This
process has been known for many years in soil, fresh
waters, and marine waters. It is now becoming clear
that organic material represents a substantial compo-
nent of many aerosols. This organic material is poorly
characterized but it is clear that some of the organic
compounds, including relatively simple organic mol-
ecules such as oxalic acid and also probably some of
the more complex organic material, can complex
metals and significantly modify the metals’ solubility,
bioavailability, and photochemistry.

Deposition

Trace metal removal processes from the atmosphere
are similar to those of other aerosol species and involve
wet and dry deposition processes. These are discussed
elsewhere and will not be described in detail here.
However, a few important points arise that are of
specific relevance to metals. First, wet and dry depo-
sition processes are dependent on aerosol particle size.
Metals associated with coarser material will therefore
be removed more rapidly from the atmosphere than
metals associated with finer aerosol particles. The
component of the metals in aerosol arising from gas-
to-particle conversion, predominantly the anthro-
pogenic component, is therefore less efficiently re-
moved than those components associated with soil
dust or sea spray. Thus anthropogenic emissions in
general not only increase emissions of metals to the
atmosphere but also promote their long-range trans-
port. This is probably one reasonwhy the enrichments

Table 2 Average enrichments of metals in aerosols collected

from many sites around the world over the value expected if soil

dust is the dominant source

Metal Enrichment

Aluminum 1.0

Arsenic 190

Cadmium 1100

Cobalt 1.9

Copper 25

Iron 1.3

Lead 320

Manganese 1.5

Selenium 3500

Silicon 0.8

Zinc 50

Based on Wiersma and Davidson (1986).

Note: Because soil and rock metal concentrations and ratios vary

from place to place, small enrichments (o5) are probably not

significantly different from 1.

Table 3 Mass median radius of some aerosol trace metals at

Enewetak Atoll in the Pacific Ocean

Metal Mass median radius (mm)

Sodium 4.3

Aluminum 1.0

Iron 1.1

Manganese 1.3

Copper 0.3–0.4

Lead 0.3–0.6

Zinc 0.5–1.0

From Arimoto R, Duce RA, Roy BJ and Unni CK (1985) Journal of

Geophysical Research 90: 2391–2408.
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seen in Table 2 are greater than predicted from the
ratio between natural and anthropogenic emissions.

The effect of pH on metal solubility was noted
earlier. This results inmarked changes in solubilities of
metals over rather narrow pH ranges that vary from
metal to metal (Figure 1). This is important because
the impact of the metals on the environment varies
markedly depending onwhether themetal is soluble or
insoluble. However, this solubility will also depend on
the pH of the receiving media, which will generally be
less acidic than rain water.

Mercury

Mercury is unique among metals in existing predom-
inantly in the gas phase in the atmosphere as Hg0. In
this form it has long residence time of about 1 year
compared to only a few days for aerosol-bound
metals. It has substantial marine and terrestrial bio-
logical sources, though on a global scale anthro-
pogenic emissions may now predominate (Table 1).
Atmospheric oxidation reactions slowly convert Hg0

to Hg(II), in which form it is essentially involatile and
is removed rapidly to aerosols and is deposited.

Biogeochemical Significance of
Atmospheric Transport of Trace
Metals

As noted earlier, the emissions of many metals to the
atmosphere have been estimated to have been in-
creased markedly by human activity and are now a
major route for global transport (Table 4). Atmos-
pheric emissions, particularly on fine-mode aerosols,
leads to very effective long-range transport, as is
evident from the enrichment of several trace metals in
even the remote atmosphere (Table 2). The record of
increasing atmospheric concentrations arising from

industrialization is preserved in the ice caps, particu-
larly of the Northern Hemisphere, and in corals in
central ocean regions remote from riverine sources
(Figure 2). Thus it is clear that atmospheric transport
has resulted in contamination of remote environments
by trace metals, though the evidence for deleterious
effects arising from their contamination, and hence for
pollution, is equivocal.

Atmospheric transport of some trace metals has
increased due to societal emissions, while that of
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Figure 1 Effect of pH on the solubility (mass/mass) of copper,

lead, and zinc in rain water. (Based on Jickells (1997).)

Table 4 A comparison of atmospheric and riverine fluxes

(109 g y�1) of some trace metals to the oceans

Fluvial flux Atmospheric flux

Metal Dissolved Particulate Dissolved Particulate

Iron 1 100 110000 3 200 29000

Copper 10 1 500 14–45 2–7

Lead 2 1 600 80 10

Zinc 6 3 900 33–170 11–60

From Duce, et al. (1991).

Note: Riverine particulate material is deposited primarily in estu-

aries and hence the best measure of comparison is probably of

atmospheric flux with riverine dissolved flux.
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Figure 2 (A) Concentration of lead in Greenland snow. (Repro-

duced from Wolff E (1995) In: Wolff E, Bales RC (eds) Chemical

Exchange between the Atmosphere and Polar Snow, pp. 1–18.

Berlin: Springer-Verlag.) (B) Concentration of cadmium in coral

from Bermuda in the Sargasso Sea central Atlantic. (Reproduced

from Shen GT, Boyle EA and Lea DW (1987) Nature 328:

794–796.)
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others such as iron has been little changed. Iron fluxes
have changed on longer time scales, being higher
during the last glaciation owing to increased aridity
and stronger winds. Over the last few years the role of
iron has attracted increasing interest as it has become
clear that iron is a key nutrient for phytoplankton in
the oceans and that in some areas remote from desert
regions (the dominant sources of dust), phytoplankton
growth may be limited by iron availability. Higher
dust loadings during the last glaciation may have
promotedhighmarine productivity and contributed to
the lower atmospheric CO2 levels and hence to a
cooler climate. Furthermore, higher productivity
may increase emissions of dimethyl sulfide (DMS)
from the oceans, which would increase the acidity of
clouds and promote increasing bioavailability of iron
as well as increase global albedo and hence influence
climate.

It has become clear over recent years that atmos-
pheric cycling of trace metals is a very important
component of the global biogeochemical cycle.

See also

Aerosols: Physics and Chemistry of Aerosols. Air–
Sea Interaction: Gas Exchange. Biogeochemical
Cycles: Carbon Cycle. Deposition. Deserts and
Desertification. Gaia Hypothesis. Paleoclimatology:

Ice Cores. Tropospheric Chemistry and Composi-
tion: Mercury.
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Introduction

Nitrogen is an essential element for all living organ-
isms. Its global biogeochemical cycle links atmospher-
ic, terrestrial, marine, and biological processes to
sustain all life on Earth. However, the nitrogen cycle
has been substantially impacted by human activities,
primarily global agriculture, fossil fuel combustion,
and biomass burning.

While atmospheric N2 is themost abundant form of
nitrogen (78.1% by volume in the atmosphere), only a
small number of organisms are able to utilize this form
directly. These organisms, principally some bacteria
and algae, ‘fix’ atmospheric N2 into NH3 and organic
N compounds. Since all life needs nitrogen, other
organisms must get their nitrogen from food. This is

the primary natural input of nitrogen to terrestrial and
marine ecosystems. Since the industrial revolution,
however, humans have learned how to fix nitrogen
without the aid of microbes and have used this ability,
driven by fossil fuel energy, to substantially increase
global food production. This fertilizer production has
certainly been an important reason why global agri-
culture can now feed 6 billion people. However, these
activities have caused the concentrations of many
trace nitrogen species to increase substantially, alter-
ing the global nitrogen cycle, and leading to numerous
environmental problems such as acid rain, urban
photochemical smog, and watershed eutrophication.

Regarding atmospheric chemistry, N2 itself plays a
very minor role in the lower atmosphere because it
is essentially inert. In contrast, other nitrogen species
such as NO, NO2, NH3, and N2O, which are
present in trace amounts (parts per billion or less)
are involved in key atmospheric processes such as
regulating the oxidative power of the atmosphere
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through tropospheric ozone formation, the acid–base
balance of precipitation, and stratospheric ozone
chemistry.

Key Atmospheric Nitrogen
Compounds

There are dozens of nitrogen compounds present in the
Earth’s atmosphere, oceans, soils, and biota,which are
connected through the global nitrogen cycle. This
section will focus on five major categories of nitrogen
compounds, giving an overview of their chemistry,
sources and sinks.

The five categories are:

1. N2 and N2O – stable nitrogen.
2. The NOx/NOy family (NO, NO2, HNO3, and

others) – reactive nitrogen oxides.
3. NH3 and NH4

1 – ammonia and ammonium com-
pounds.

4. Organic N – amines, amides, alkyl nitrates, and
others.

5. Aerosol N – liquid and solid phase compounds.

N2 and N2O

Nitrogen gas, N2, is a colorless gas at room temper-
ature. In nitrogen fixation, a variety of bacteria and
algae, both symbiotic and free-living, are able to
convert this relatively inert molecule into NH3 and
organic nitrogen compounds via enzyme-catalyzed
electron transport chains. ‘Industrial nitrogen fixa-
tion’ refers to the industrial production of NH3 and
nitrates fromN2, mainly for fertilizers. This process is
extremely energy-intensive, but has greatly increased
yields from agricultural lands in the last century. In
addition, since nitrogen-fixing organisms are found on
the roots of many legumes (clover, soybeans, chick-
peas, etc.), these have been intentionally planted
as ‘green manures’ as a means of replenishing soil
nitrogen.

Natural nitrogen fixation from the atmosphere to
oceans and terrestrial ecosystems is balanced by a
nearly equal source of N2 to the atmosphere via
another biological process called denitrification. In
denitrification, 80–100% of the nitrogen released is in
the form of N2, with the remainder being N2O. Under
certain environmental conditions, however, nitrous
oxide can become a major end product.

Nitrous oxide, or N2O, is a colorless, fairly unre-
active gas at room temperature. N2O has a geometric
structure similar to that of carbon dioxide, which
contributes to its inertness. It is the second most
abundant nitrogen compound in the atmosphere with
a current (year 2000) average global mixing ratio of
316 parts per billion by volume (ppbv). Because of its

low reactivity and low water solubility, N2O has a
lifetime of about 100 years in the atmosphere and is
well mixed throughout the global troposphere. Hav-
ing no significant sinks in the troposphere, N2O
eventually gets transported to the stratosphere where
it can react or photolyze and is believed to be themajor
contributor to stratospheric NOx.

Because N2O is created during denitrification, and
denitrification is often increased following the appli-
cation of nitrogenous fertilizers, emissions of N2O
have risen in the last century. This, along with
increases in biomass burning which also generates
N2O, has caused an accumulation of N2O in the
atmosphere. N2O is a greenhouse gas with roughly
200 times the warming potential of CO2. N2O also
plays a significant role in stratospheric ozone deple-
tion, supplying the stratosphere with nitrogen in a
relatively reactive form. Thus, understanding the
contributions from agricultural releases and biomass
burning of N2O and, if possible, reducing these fluxes
is an ongoing area of investigation.

NOx and NOy Compounds

This groupof compounds is characterized by relatively
short atmospheric lifetimes (hours to days). They are
best thought of as a group in that NO is the primary
source, and HNO3 is the primary sink. These com-
pounds are responsible for the formation of photo-
chemical smog and also substantially contribute to
acid precipitation and watershed eutrophication.

Two subgroups within this broader class have been
defined. NOx is defined as NO1NO2, and NOy refers
to the sum of all reactive nitrogen oxides. NOy

specifically excludes less reactive compounds such as
N2O. NO, or nitric oxide, is a colorless gas at room
temperature. A small amount of NO is produced by
microbial action in natural soils, but much larger
amounts are produced during fossil fuel combustion.
In combustion, NO is produced by the oxidation of
nitrogen in the fuel, but also through the high
temperature reaction of N2 with O2. The kinetics
and thermodynamics of this reaction are strongly
temperature-dependent, such that only at tempera-
tures exceeding about 1000 1C do significant quanti-
ties of NO begin to form. Thus NO production is
largely associated with auto emissions and power
plants.

NO2, or nitrogen dioxide, is a brown–yellow gas at
room temperature due to its light absorption in the
blue spectral region. It has a very irritating odor and is
fairly toxic. Nitrogen dioxide is produced by the
oxidation ofNO by several oxidants includingO3 and
RO2. NO2 also photolyzes back to NO, so that a
steady state between the NO and NO2 is quickly
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established which depends on the amount of oxidants
and available light. This explains why NO and NO2

are often grouped together as NOx. Because of the
short atmospheric lifetime of NOx and the largely
urban sources, NOx mixing ratios in the atmosphere
are highly nonuniform, ranging from parts per trillion
in remote regions to hundreds of parts per billion in
urban environments. A more detailed discussion of
photochemical ozone formation and urban smog
is given below, under ‘Photochemistry and Smog
Formation’.

Gaseous nitric acid, or HNO3, is highly water-
soluble and a strong acid. It is principally formed from
the reaction of NO2 with the OH radical. Its sinks are
wet deposition (contributing to acid rain) and dry
deposition. Nitric acid is also produced industrially in
large amounts as a feedstock tomanufacture fertilizers
and explosives.

There are a number of other NOy compounds
involved in nitrogen oxide cycling, including NO3,
N2O5, HONO, and HNO4. For a description of the
sources, sinks and significance of these compounds,
the reader should consult one of the more specialized
references given in the bibliography.

NH3/ NH4
1

Ammonia is a colorless gaswith a very pungent odor; it
is also toxic at high concentrations. NH3 is a weak
base, forms strong hydrogen bonds, is highly soluble in
water, and is fairly reactive. Because of this reactivity
and water solubility, atmospheric ammonia is short-
lived and, like NOx , has a very nonuniform distribu-
tion in the atmosphere: high concentrations near
sources and extremely low concentrations in remote
regions. In the atmosphere, ammonia is one of the few
‘reduced’ compounds and also one of a small number
of gaseous bases. For this reason, it will react with
acids in either the gas or the aqueous phase to produce
salts, with ammonium sulfate and ammonium nitrate
being common. These acid–base reactions reduce the
level of acidity, or increase the pH, in rainwater. Under
most conditions, NHþ

4 ion, whether as solid, liquid, or
aerosol, will be present in greater amounts than
gaseous NH3. Most ammonia gets removed from the
atmosphere as NHþ

4 , principally in wet deposition.
Finally asmentioned above, ammonia is industrially

manufactured by the Haber process in large amounts
for use in fertilizers and explosives.

Organic Nitrogen Compounds

A wide variety of organic nitrogen compounds have
been identified in the atmosphere. They include, for
example, amines, amides, alkyl nitrates, nitrosamines,
nitroarenes, and peroxyacyl nitrates. This later cate-

gory includes the important compound peroxyacetyl
nitrate or PAN,which is a lung and eye irritant formed
in photochemical smog. Some of these compounds are
directly emitted from industrial emissions, including,
for example, emissions of amines from sewage treat-
ment or waste incineration, and emissions of nitro-
arenes from fossil fuel combustion. Natural sources of
amines are also found, for example from decaying
organisms.

Secondary products, from atmospheric photochem-
ical reactions in situ, include the alkyl nitrates,
peroxyacyl nitrate, and other compounds. Although
the contribution of these species is usually fairly
modest (a few percent) compared with the inorganic
species already mentioned, some of these compounds
have well-documented health effects (e.g., PAN,
nitrosamines, nitroarenes).

Aerosol Nitrogen Compounds

Quantitatively, a relatively small fraction of total
atmospheric nitrogen is found in aerosol particles.
This is because most inorganic nitrogen compounds
are relatively volatile and are therefore preferen-
tially found in the gas phase. Many of the higher-
molecular-weight or polar organic nitrogen com-
pounds are commonly found as aerosols. Aerosol
NO�

3 can form either by uptake of gaseous nitric
acid on a preexisting aerosol particle or by reaction of
a precursor which forms NO�

3 directly on the surface
of the particle.

Observations show that NO3
� is found in greater

amounts on larger aerosol particles, i.e., those with
diameters greater then about 2mm. These larger
particles are often composed mainly of alkaline,
crustal material, which will retain a volatile but
acidic gas such as HNO3. Smaller aerosol particles
(e.g., those with diameters less then 2mm) are usually
acidic, and so tend to retain lessHNO3. In urban areas,
high concentrations of aerosol NO�

3 can be found
on both large and fine aerosol particles, presumably
due to the high levels of precursor NOx , N2O5,
and HNO3. In both urban and remote areas,
gaseous HNO3 concentrations are generally greater
than aerosol NO�

3 concentrations by a factor of three
or more.

Other aerosol nitrogen compounds include high-
molecular-weight polycyclic organic compounds.
Some of these, such as 1-nitropyrene, are known to
be animal carcinogens and possibly also human
carcinogens. Many of these polycyclic compounds
are emitted in significant quantities in fuel com-
bustion, especially diesel exhaust, and are typically
found associated with graphitic carbon particles
or soot.
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The Role of Nitrogen in Today’s
Atmosphere

Natural and Anthropogenic Fluxes of Key
Constituents

Figure 1 shows an integrated nitrogen cycle and
Table 1 shows some of the most important fluxes for
both the preindustrial and modern Earth. While it
must be recognized that the fluxes have significant
uncertainties (in some cases as much as 50%), the
broad picture of the atmospheric nitrogen cycle is
reasonably well understood.

Clearly, human activity has dramatically altered the
global nitrogen cycle. For some classes of nitrogen
compounds, such as NOx and NH3, human sources
now dominate the global emissions. For N2O, the
human contribution is 30–40% of the total. However,
because N2O is long-lived, the human sources leads to
an imbalance in the global source–sink relationship
and an ongoing increase in the tropospheric burden.

With respect to nitrogen fixation, the anthropogenic
contribution (fertilizer production and planting of

legumes, clover, and other N-fixing plants) approxi-
mately equals the natural biological contribution.

Natural sources of NO, principally microbial pro-
cesses in soil and lightning, are relatively modest. NO
sources have increased dramatically as a result of
human activities, principally fossil fuel combustion.
Once released into the atmosphere, NO will reach a
steady state with NO2 within minutes, so that sources
of NO can be thought of as sources of NOx. Globally,
NOx has a lifetime ofB1 day owing to the reaction of
NO2 to formHNO3.TheNOx lifetime is shorter in the
atmospheric boundary layer and somewhat longer in
the free troposphere, owing to lower amounts of the
OH radical.

Volatilization ofNH3 fromdecaying organicmatter
and animal feces is a natural process, however the
widespread husbandry of domestic animals has caused
substantial changes in the natural cycle. While the
actual fluxes are highly uncertain, owing to the nature
of the sources, it is clear that domestic animals are
large NH3 sources. In addition, biomass burning and
fertilizer use also release significant amounts of NH3.
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Figure 1 An integrated view of the global nitrogen cycle. (1) Urban areas: NOx is produced from high-temperature combustion.

(2) Biomass burning: NOx, NH3, and N2O are produced from combustion of plant material. (3) Agriculture: nitrogen is fixed through

fertilizer manufacturing and the planting of nitrogen-fixing crops. Denitrification produces N2 and N2O. NH3 is produced from fertilizer use

and livestock excreta. (4) Natural fluxes: nitrogen fixing microbes in soil and sea water supply plants with usable nitrogen. Denitrification

releasesN2 andN2O to atmosphere. (5)Wet and dry deposition: Nitrate and ammonia are removed from the atmosphere to both land and

sea. (6) Lightning: NOx is produced via high-temperature reaction of N2 and O2.
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Once released, NH3 is removed by wet or dry
deposition, but removal by wet deposition is quanti-
tatively more significant, because NH3 is very water-
soluble.

ConcentrationsofMajorConstituents in theModern
Day Atmosphere

Table 2 shows global average lifetime, global average
mixing ratio or range of observed mixing ratios, and
an estimate of the global burden for some of the key
nitrogen species.

Long-lived compounds, such as N2 and N2O, have
very uniform distributions throughout the globe. This
makes it relatively easy to determine their total
abundance and average global mixing ratio. Short-
lived species, such as NOx , have mixing ratios that
vary over five orders of magnitude between urban and
remote regions. This results in a highly uncertain
global burden, with an uncertainty of 7100%. In
addition, lifetimes are usually dependent on local
conditions. For NOx , the lifetime in urban air, owing
to reactionwithOH, is about half a day,whereas in the
upper troposphere it can be many days, depending on
the OH molecular density.

For N2O there is good evidence that modern day-
mixing ratios are higher than preindustrial values.

This is based on direct atmospheric observations over
the past two decades and ice core records, which
extend back several thousand years. Figure 2 shows
recent atmospheric data, collected at four background
stations by the National Oceanographic and Atmos-
pheric Administration’s Climate Monitoring and Di-
agnostics Laboratory (NOAA-CMDL). Also shown in
Figure 2 is an estimate of the preindustrialmixing ratio
of N2O, as determined by ice core data from Green-
land.

For NH3 and NOx , the global burden has certainly
increased significantly as a result of human sources;
however, due to the highly variable nature of these
reactive gases, it is difficult to quantify the exact
amounts.

Significance and Consequences

Atmospheric nitrogen cycling plays an important role
in a number of key environmental processes, including
(1) urban ozone and smog formation, (2) acid precip-
itation, (3) climate change, (4) stratospheric chemis-
try, and (5) watershed eutrophication.

Photochemistry and smog formation In the tropo-
sphere, ozone is formed from the simultaneous pres-
ence of nitrogen oxides, nonmethane hydrocarbons,

Table 1 A comparison of some key natural and anthropogenic fluxes (Tg N)

N2 N2O NOx þ NOy NH3=NH
þ
4

Preindustrial Modern Preindustrial Modern Preindustrial Modern Preindustrial Modern

Terrestrial source 6 9 5 36 21 68

Terrestrial sink 90–130 210–250 4 34 17 50

Oceanic sink 40–200 40–200 1 9 3 13

Other processes Denitrification Loss to stratosphere

Note: fluxes are given from the perspective of the atmosphere. In other words, the term ‘source’ refers to a source of that trace gas to the

atmosphere. Sources and sinks do not necessarily sum to zero since someminor processes have been omitted. For N2, themajor sink is

biological nitrogen fixation.AnthropogenicN2 sinks come fromplanting nitrogen-fixing plants, suchas legumes, andproduction anduseof

nitrogenous fertilizer such as NH4NO3. For N2O, key sources are from denitrification (both natural and fertilizer enhanced) and fossil fuel

combustion. For NOx/NOy key anthropogenic sources are from fossil fuel combustion and biomass burning. Themost significant removal

for NOx/NOy is as HNO3, in both wet and dry deposition. For NH3 the major sources are volatilization from animal excreta, from both wild

and domestic animals. The major sink is removal by both wet and dry deposition.

Table 2 Mixing ratios and burdens of atmospheric nitrogen compounds

Compound Lifetime Range of observedmixing ratios or

global mean value

Global burden (TgN)

N2 Millions of years 78.08% (global mean) 3.9� 109

N2O B100 years 316 ppbv (global mean) 1600

NH3 B3 days 0.05–50 ppbv B0.4

NOx B1 day 0.005–200 ppbv B0.2

Note: The N2O mixing ratio is rising by 0.7 ppbv per year. The values given in the table are for the year 2000.

Reproduced with permission fromMeyers RA (ed.) (2001)Encyclopedia of Physical Science and Technology, SanDiego, CA: Academic

Press.
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and sunlight. Figure 3 gives an overview of the
chemistry responsible for ozone formation in urban
smog. One of the key atmospheric species involved in
this transformation is the OH radical. This gaseous
radical species is the primary oxidant in the atmos-
phere.

The first step in its formation is the photolysis ofO3:

O3 þ light ðlo320 nmÞ ) O2 þOð1DÞ ½I�
O(1D) is an electronically excited oxygen atom. It can
decay back to a ground-state oxygen atom (O3P), or
else it can react with water to produce two OH
radicals.

Oð1DÞ þH2O ) 2OH ½II�
In the presence of NOx , OH is responsible for the
oxidation of hydrocarbons to form O3 via the
sequence of reactions shown in Figure 3. In this
sequence, NOx and OH act as catalysts. A variety of
chain-termination steps can slow or end this cycle
including, for example, in the reaction

NO2 þOH ) HNO3 ½III�
While the reactions shown in Figure 3 are some

of the most important processes, they represent just
a small sample of the full chemical mechanism. This
is especially true given the many hundreds of
organic hydrocarbons present in the atmosphere
and the many possible permutations of organic
radical species involved in this cycle. In practice, a
complete atmospheric chemistry model would incor-
porate the kinetics for at least several hundred
chemical reactions.

In urban areas that receive ample sunshine, all of the
ingredients for ozone production are present. In
photochemical smog, ozone can build up to mixing
ratios of several hundred parts per billion by volume
(ppbv), which are known to cause adverse health
effects. Ozone may also cause significant damage to
vegetation at levels as low as 60 ppbv. Both hydrocar-
bons and nitrogen oxides are required for O3 forma-
tion to occur. Early ozone control strategies largely
focused on reducing hydrocarbon emissions. How-
ever, this strategy was not very effective in reducing
O3. More recently, reductions in both NOx and
hydrocarbon emissions have been achieved through
improvements in engine performance and improved
catalytic converters. This has proven to be an effective
strategy for reducing O3 mixing ratios in urban areas.

While O3 is not the only secondary product with
health implications in photochemical smog, it is one of
the key products, and readily measured. As a result O3

is monitored in most urban areas around the world. In
theUnited States, theO3 standard is set at 120ppbv for
a 1-hour averaging period. There is evidence that a
stricter standard is needed to protect public health. In
1997, the US Environmental Protection Agency pro-
posed a new O3 standard of 80 ppbv for an 8-hour
averaging period. Following several court challenges
to this new standard, it now appears that it will
eventually be implemented. Unfortunately both the
old and new standards are exceeded on a routine basis
in many urban areas, principally regions with high
temperatures, substantial numbers of automobiles,
and unfavorable meteorology or geography, which
leads to poor dispersion conditions. Previously, Los
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Angeles was known for having the worst ozone smog
problems in the world, but as a result of substantial
efforts to control both NOx and hydrocarbon emis-
sions has made large improvements. Currently, some
of the worst areas for photochemical smog are in
Houston, Mexico City, and Beijing.

Acid precipitation Acid precipitation, or acid rain,
can cause significant impacts on terrestrial and coastal
ecosystems. Regions downwind of industrial areas of
eastern North America and western Europe have seen
the greatest impacts. HNO3, from NOx emissions,
and H2SO4 from SO2 emissions, make up most of the
acidity in rain. H2SO4 is typically more important
because one molecule of SO2 yields one molecule of
H2SO4 or two acid equivalents, whereas one molecule
of NOx yields one molecule of HNO3 or one acid
equivalent. Thus, efforts to control acid precipitation
have focused largely on the control of SO2 emissions
by employing scrubber technologies at facilities that

burn high-sulfur fuels such as coal. At the same time,
the number of automobiles worldwide has increased
dramatically, leading to an increase in NOx emissions.
This has caused the relative ratio of SO2�

4 =NO�
3 in

precipitation to decrease in some regions, with NO�
3

contributing a greater fraction to the total acidity.
Thus, controllingNOx emissions is not only the key to
reducing photochemical smog, but is also important in
controlling acid rain.

Climate: N2O and tropospheric O3 Both N2O and
O3 have absorption features in the infrared, meaning
both gases can contribute to the ‘greenhouse effect’.
Increases in the global burden of these two gases will
contribute to an increase in radiative forcing, or
heating, of the Earth–atmosphere system. Because of
its long lifetime, on the order of 100 years, N2O is well
mixed globally. However because the sources and
sinks are not equal, the global mean mixing ratio of
N2O is steadily increasing (Figure 2). While there is
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Figure 3 Photochemical ozone production cycle in the troposphere. (1) NO emissions come from, primarily, industrial sources and
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hydrocarbon radicals (R�). (6) R� combines with O2 to form peroxy radicals (RO2�) which oxidize NO to NO2 (step 1).
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considerable uncertainty in the global N2O budget,
current thinking is that anthropogenic activities,
including agriculture and biomass burning, contribute
about 6Tg (asN) ofN2O to the total of 15Tg per year.

In addition to N2O, tropospheric ozone mixing
ratios have increased throughout the Northern Hemi-
sphere (not just in urban areas) as a result of fossil fuel
emissions of NOx. But because ozone is a secondary
product formed from a complex sequence of chemical
reactions, its global budget is very difficult to quantify.
Complicating this further are the facts that ozone is
not uniformly mixed in the troposphere and radiative
forcing is most effective in the colder regions of the
atmosphere at between about 10 and 15km height. At
this altitude, O3 mixing ratios are highly variable and
more observations are needed to determine the impact
from anthropogenic activities.

Because of the concerns over greenhouse warming,
global climatemodels have beendeveloped to quantify
the radiative forcing, or heating, associated with the
major greenhouse gases, including H2O, CO2, CH4,
tropospheric O3, N2O, and chlorofluorocarbons. On
the basis of the concentration changes between 1850
and 1992, CO2, tropospheric O3 and N2O contribute
1.56, 0.4, and 0.14Wm� 2, respectively, to global
average radiative forcing. The uncertainty in the O3

forcing is about 100%,owing to the factorsmentioned
above. For the more uniformly distributed species,
CO2 andN2O, the uncertainty ismuch smaller.On the
basis of expected trends in energy consumption and
agricultural, these radiative forcing values are ex-
pected to increase in the coming decades. These values
have been used to forecast future climate by a number
of studies, most notably the Intergovernmental Panel
on Climate Change (IPCC) assessments of 1995 and
2001.

Stratospheric chemistry Nitrogen oxides also play a
significant role in regulating the chemistry of the
stratosphere. In the stratosphere, ozone is formed by

O2 þ light ðlo242 nmÞ ) 2O ½IV�

O2þOþM ) O3 þM

ðMis an inert third body; likeN2Þ ½V�

This ozone production sequence is balanced by vari-
ous catalytic destruction sequences, including

NOþO3 ) NO2 þO2 ½VI�

NO2 þO ) NOþO2 ½VII�

Net : O3 þO ) 2O2 ½VIII�

This reaction cycle accounts for approximately half of
the natural O3 sink in the upper stratosphere, and
much less in the lower stratosphere. Currently
there are very few direct sources of NO to the
stratosphere (from a small number of high-flying,
supersonic aircraft). The principal source of NO to
the stratosphere is the slow upward diffusion of
tropospheric N2O, followed by its reaction with
O(1D) radicals:

N2OþOð1DÞ ) 2NO ½IX�
While tropospheric N2O has increased (Figure 2) the
impact of this in the stratosphere is complicated by the
simultaneous increase in Cl atoms from chlorofluoro-
carbons (CFCs). While a full discussion of strato-
spheric chemistry lies beyond the scope of this article,
it should be noted that NO and NO2, produced from
reaction (IX) above, play a central role in the overall
chemistry of the stratosphere.

Watershed eutrophication FromTable 1, it is appar-
ent that anthropogenic activities have substantially
increased the flux of nitrogen in the global environ-
ment. Globally, fertilizer use alone now adds approx-
imately an amount of nitrogen equivalent to all natural
nitrogen fixation. Adding in the contributions from
fossil fuel nitrogen oxides and planting of legume
crops (which adds additional nitrogen to the terrestrial
environment)makes it clear that the nitrogen cycle has
been substantially altered by human activity. In
agricultural regions, a large fraction of the nitrogen
fertilizer that is used ends up as NO�

3 or NHþ
4 in

runoff, either directly or via animal waste. Agriculture
runoff contributes to high levels of NO�

3 in ground
water (a human health hazard), eutrophication of
fresh-water and coastal ecosystems, and changes in
species composition. Additionally, urban runoff and
sewage contain high levels of nitrogen that contribute
to the same problems as agricultural runoff. Finally,
the application of nitrogenous fertilizer and urban
runoff increase the atmospheric fluxes of N2O and
NH3.

Summary Nitrogen is an essential element required
by all organisms, but only a relatively few organisms
are able to fix atmospheric N2 directly to meet their
needs. Other organisms must obtain their nitrogen
from proteins and nucleic acids contained in food.
Since early in the twentieth century humans have
learned to manufacture nitrogen fertilizers from N2

and energy supplied from fossil fuels, and this has
substantially changed the global nitrogen cycle. Cur-
rent estimates are that anthropogenic activities fix
more nitrogen then all natural processes. Primarily, a
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few human activities are responsible for this influence
on the global nitrogen cycle: combustion of fossil fuels
and biomass, and production and use of nitrogenous
fertilizers. These activities have contributed to major
changes to the global nitrogen cycle, and in some cases
significant environmental problems.

Glossary

Denitrification Biological process by which aqueous
NO3

� is converted into mainly N2 and some N2O.
Dry deposition Removal of a chemical species from
the atmosphere by direct interaction with the
ground.

Industrial nitrogen fixation Conversion of N2 to a
nitrogen compound, either intentionally via the
Haber process generating NH3, or unintentionally
as during fossil fuel combustion to generate NO.

Lifetime Time constant (1/e) associatedwith a specific
chemical or removal process. For atmospheric
compounds, the lifetime refers to the time when
37% (1/e) of the original amount remains.

Nitrogen fixation Any process that converts N2 into a
nitrogen compound. In biological nitrogen fixation
N2 is converted intoNH3 or organic compounds via
an enzyme-catalyzed process.

Photochemical smog Mix of photochemically gener-
ated gases and aerosols often found in warm, sunny
urban environments. Key in this process is the
accumulation ofO3,which is associatedwith health
impacts and vegetation damage.

Wet deposition Removal of a chemical species from
the atmosphere via rain or fog.

See also

Carbon Dioxide. Global Change: Ozone Trends. Soot.
Stratospheric Chemistry and Composition: Reactive
Nitrogen (NOx and NOy).
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Introduction

The sulfur cycle transfers enormous amounts of this
biologically important element through the atmos-
phere every year. Despite the size of natural reservoirs,

human activities have had a remarkable effect on the
sulfur cycle, perhapsmost notably in the production of
acid rain. The Earth’s surface is a source ofwindblown
dusts, but this is influenced by grazing activities and
desertification. Large amounts of sulfur are mobilized
by mineral extraction and fuel use. Fossil fuel refining
and combustion are the major human emissions to the
atmosphere, which exceed the natural sources. The
reduction in anthropogenic emissions from North
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America and Europe is countered by growing emis-
sions from Asia and may represent a special challenge
for the twenty-first century.

Sulfur

The sulfur cycle is one of the major elemental cycles.
Sulfur has an enormous span of oxidation states: from
sulfides in the � II state through to sulfates in the1VI
state. Both sulfides and sulfates are frequently found as
minerals, which include the innumerable sulfides of
metals or sulfates such as that of calcium (gypsum)
and/or barium (barite). Sulfur is also found in its
elemental state. Rhombic and monoclinic crystalline
forms both contain S8 rings. Liquid sulfur undergoes
sharp changes in properties (color, viscosity, specific
heat) as the temperature rises above the melting point
(112.81C for rhombic sulfur), with complex changes
in the ring structure. Sulfur is essential to living
organisms because it is incorporated into amino acids,
proteins, and other biomolecules.

There is a naturally occurring radioisotope, sulfur-
35, produced by the interaction of cosmic rays
with argon in the upper atmosphere. It has a radio-
chemical half-life of 87 days and is rapidly oxidized
to sulfur dioxide (SO2) and sulfate, which is ultimately
transferred to the lower atmosphere and removed
in rain.

Evolution of the Sulfur Cycle

Sulfur is a common element with a high cosmic
abundance half that of silicon (a frequent marker
element). Concentrations of sulfur are much reduced
in the Earth’s crust because of downward separation
when it is segregated in heavy sulfide magmas. Places
where sulfur is plentiful are usually the result of
intrusions that occurred in the earliest stages of the
Earth’s history. The element remains very much
associated with volcanic activity. The Earth formed
through gradual accretion of infalling material during
Hadean time (4.5 to 3.8 billion years ago). Accretion
left the mantle extensively molten. Gradually the
Earth’s surface cooled and solid rock formed, proba-
bly prior to 3.8 billion years ago. Metallic iron
influenced the oxidation state of outgassed volatiles
and hydrogen sulfide would have made an important
contribution to the early sulfur budget. This differs
from the current dominance of volcanic gases by
sulfur dioxide. On the Archean Earth (3.8 to 2.5
billion years ago) hydrogen sulfide could be removed
from the atmosphere through dissolution and pre-
cipitation as iron sulfide from the oceans or destruc-
tion by photochemical processes or lightning in the
atmosphere.

Within the early oceans the concentration of sulfate
would have been controlled by the provision of
oxidizing materials from the atmosphere. Sulfate
could not have risen to high concentrations, while the
hydrogen content of the atmosphere was maintained
in excess of 0.0001 atm through rapid volcanic input.

Atmospheric oxygen remained considerably less
abundant through theArchean (3.4 to 2.8 billion years
ago) than today. Nevertheless at the beginning of the
Archean, anaerobic photosynthesis provided a weak
source of sulfate to the global ocean. Photodissocia-
tion of water provided a limited amount of oxygen
that was supplemented with oxygen from oxygenic
photosynthesis about 2.8 billion years ago.Thiswould
probably lead to atmospheric oxygen concentrations
high enough to oxidize the sulfur in pyrite to sulfate.
Bacterial reduction of sulfate to sulfides in marine
sediments is a good indicator of increasing sulfate in
sea water, with early indications found between 2.7
and 2.5 billion years ago. The sedimentary sulfur
isotope record suggests that there were low concen-
trations of seawater sulfate and oxygen in the early
Archean and atmosphere, respectively. Sulfate con-
centrations in sea water were probably less than a
millimolar until the substantial oxygen increases of the
early Proterozoic (2.5 to 0.54 billion years ago).

Volcanic Sources of Sulfur

Although elemental sulfur occurs in volcanic gas,
perhaps as the dimer, most is found as either SO2 or
hydrogen sulfide (H2S). The equilibrium calculations
of the composition of volcanic gases show oxidized
systems that contain SO2, and smaller amounts of S2
and H2S. More reduced systems may have COS and
H2S in greater relative abundance.

Some fluxes of sulfur gases from volcanoes occur as
fairly continuous small releases from fumaroles into
the atmospheric boundary layer. Violent volcanic
eruptions represent a more sporadic but potentially
much larger source of sulfur. The Tambora eruption of
1815 released some 50Tg of sulfur, but this was
exceptionally large (by comparison the Pinatubo
eruption of 1991 released perhaps only one-fifth as
much). Such explosive volcanism can inject materials
into the atmosphere with such force that the sulfur
compounds can be driven into the stratosphere
(Figures 1 and 2). These gases are slowly converted
to sulfate aerosolswith a residence time of about a year
in the stratosphere. Larger ash particles sediment out
more quickly. Sulfur condenses as sulfur crystals on
rocks near volcanic vents. This has provided a source
of sulfur since ancient times and the risky activity
of mining volcanoes for sulfur continues to the
present day.
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The variability and the shifting balance between
fumarolic and explosive injections make globally
averaged emission estimates difficult. Over the last
quarter of the twentieth century the annual volcanic
emissions have varied by a factor of three, but on
average they were 7Tg(S) year� 1 as SO2 and about
2.6Tg(S) year� 1 as H2S. The volcanic emissions of
carbon disulfide and carbonyl sulfide are an order of
magnitude lower than H2S.

Recently it is clear that the sulfuric acid droplets
in the stratosphere (Figure 2) can enhance ozone

depletion by providing sites for heterogeneous reac-
tions. This can lead to a reduction in the thickness of
the ozone layer after volcanic eruptions.

Marine Sulfur Sources

Present-day sea water has very high concentrations of
sulfur, largely because of its high solubility as the
sulfate. Sulfate is found at 0.028mol l� 1 and is thus
the most abundant anion apart from chloride. Hydro-
thermal processes at midocean ridges are able to
reduce sulfates to sulfides. As sea water evaporates it
first precipitates calcium and magnesium carbonates,
and calcium sulfate, gypsum. When sea water is
trapped within basins in arid climates, it can lead to
extensive deposits of evaporite minerals. In the geo-
logical past these shallow basins were more extensive
than at present and gave rise to very extensive
evaporite beds.

Sea spray can be blown directly from the sea surface
during high winds. The particles of salt from this
process tend to be large and short-lived. Smaller
particles are produced during bubble bursting. The
very finest arise when the cap of a surfacing bubble
shatters, giving film drops that dry into salt crystals of
5–50 pg. Along with these are larger jet drops that
emerge as the bubble cavity collapses and give parti-
cles of about 0.15 mg. Such processes lead to the
production of around a gigagram of sea salt particles
each year, of which 30Tg would be sulfur in the form
of sulfate. Thus high chloride and sulfate concentra-
tions are found in coastal rainwater.
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H2S is extensively produced from sulfate reduction
in tidal flats and marshes. This is not surprising given
the high concentration of sulfate in sea water. H2S had
long been associatedwith biological activities andwas
always assumed to be an important source of reduced
sulfur to the atmosphere. Anaerobic environments are
protected from invasion of oxygen through burial or
lying underwater. This limited exchange of oxygen can
also restrict the loss of biogenicH2S to the atmosphere.
Concentrations are typically in the range 30–100 ppt
in remote air, although on tidalmud flats or in volcanic
regions they can be much higher. H2S oxidizes rapidly
in sea water (c. 10min), so any of this gas found in
marine air would have to be produced close to the sea
surface.

A preoccupation with H2S has meant that early
studies overlooked other reduced sulfur gases. The
most notablewas dimethylsulfide (DMS orCH3SCH3)
identified first by James Lovelock in the 1970s. DMS is
the largest natural source of reduced sulfur gases. It
is produced through the activities of phytoplankton
and most arises from dimethylsulfonium propionate
([(CH3)2S

1CH2CH2COO� ] or DMSP) which leaks
from aging or ruptured cells. The bacterial decompo-
sition of DMSP in sea water cleaves it into DMS and
acrylic acid:

ðCH3Þ2SþCH2CH2COO� þOH�

! CH3SCH3 þ CH2CHCOO� þH2O

High concentrations of DMS are found in areas where
microorganisms are abundant, but the amounts re-
leased varywith species and the stage of their life cycle.
Seasonal maps of DMS in sea water in the oceans have
become quite detailed, reflecting its biological origin.
DMS is released from sea water as it is relatively
insoluble and readily transfers to the atmosphere. The
fluxes to the atmosphere are dependent not only on
concentration but also on wind speed. However, there
remains an uncertainty of a factor of two with the
estimated emissions of 20Tg(S) year� 1. SomeDMS in
sea water is oxidized, probably to dimethylsulfoxide
(DMSO, CH3SOCH3). This may be a photosensitized
or biological oxidation, while some DMSO is pro-
duced directly from biological activities.

DMSO ismore soluble thanDMS, and so is unlikely
to degas from sea water in large amounts. Other alkyl
sulfides are more likely to be released from the
ocean, but their abundances and thus fluxes are
much smaller. Methanthiol (CH3SH) and dimethyl-
disulfide (CH3SSCH3) are perhaps the best known of
these.

The oceans are also a source of carbon disulfide
(CS2) which is released from the ocean at about

0.2Tg year� 1. CS2 is produced by photosensitized
reactions in sea water. Laboratory irradiations have
confirmed that the amino acids cysteine and cystine are
efficient precursors of CS2. Biological production of
CS2 has also been observed in some marine phyto-
plankton.

CS2 can be easily oxidized and contributes to the
production of carbonyl sulfide (OCS). There are also
photochemical mechanisms for the production of
OCS from organic matter in the oceans. The
emissions show a diurnal cycle due to the photochem-
ical origin, but the fluxes from the ocean are much
smaller than DMS. Nevertheless OCS is the most
abundant reduced sulfur gas in the atmosphere as
it is very stable in the troposphere (25 year residence
time) and thus able to build up to substantial concen-
trations (0.5 ppb).

The low-temperature oxidation products of atmos-
pheric DMS, most notably DMSO, dimethylsulfone
(CH3SO2CH3), and methanesulfonic acid (MSA,
CH3SO3H), have been found in the Antarctic atmos-
phere typically at 1.5, 1.3, and 30 ppt, respectively.
They may all be found in rainwater, but MSA is
especially soluble and so is largely associated with
aerosol particles. At times MSA is almost as abundant
as non sea salt sulfate (NSS), but under warmer
conditions itmay only be a 50th that ofNSS, themajor
oxidation product.

These marine sources of reduced sulfur gases can
be important as a source of sulfur to the continents.
The gypsum accumulations of the hyper-arid Central
Namib Desert derive from non sea salt sulfur, in
particular oxidation products of marine DMS.

Terrestrial Sulfur Sources

Windblown dusts are important as a source of sulfate
in the atmosphere. The largest of these often occur
from evaporitic deposits. Dusts from the margins of
the Aral Sea (0.1–1Tg year�1) and arid states of the
southern United States are notable source regions.

Biogenic sulfur emissions from land have also been
recognized asmaking an important contribution to the
global budget, but the fluxes have been more difficult
to establish. Many of the gases that originate from
biological activity in the oceans are also emitted from
the continents, although the quantities are far less
certain. Growing crops and biochemical activities in
wetlands, especially in salty coastal environments,
give predominantly DMS, H2S, and methyl sulfide,
with generally much lower amounts of OCS and CS2.
Tundra, while seemingly a likely source, has been
found to be a low emitter of reduced sulfur because of
low sulfate amounts in the water.
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Biological Sinks for Sulfur

Vegetation can remove sulfur compounds from the
atmosphere. Carbonyl sulfide removal by plants is the
best known and probably represents a dominant sink
for tropospheric OCS. The fate of some oxidation
products of DMS is not clear. Some biochemical
studies suggest that they may degrade biologically.
Facultatively methylotropic species of Hyphomicro-
bium and Arthrobacter seem to be able to produce
enzymes necessary for a reductive/oxidative pathway
for DMSO and dimethylsulfone (although the former
appears to be more generally utilizable). Methane-
sulfonic acid is stable to photochemical decomposi-
tion in the atmosphere and its fate on land has been
puzzling. A range of terrestrial methylotropic bacteria
that appear common in soils may mineralize MSA to
carbon dioxide and sulfate.

Anthropogenic Sulfur Sources

Themost pernicious source of human sulfur emissions
has been from the combustion of high-sulfur coals.
This began in thirteenth-century London with the
depletion of nearby wood supplies and increased
through the centuries that followed until it reached its
peak within the early twentieth century in Europe and
North America. In Asia, particularly, emissions have
continued to grow with the enormous pressure of
industrial development. In the North Atlantic sector
there has been a general decline in sulfur emissions
with a shift away from coal as a fuel, in all but
extremely large industrial plants, as a response to the
problems of urban air pollution and acid deposition. It
is estimated that in south and eastern Asia more than
107 km2 of land will be subjected to sulfur deposition
greater than 1 g(S)m� 2 year� 1 by AD 2020.

Sulfur in coal exists half as pyrites, which is
relatively easy to remove, but the rest is organically
bound. This makes it hard to remove except by
methods such as coal gasification or in stacks after
emission. Sulfur can be removed by catalytic hydro-
desulfurization from residual oil, but it leads to fuels
that tend to become waxy at low temperature.

The combustion of fuels leads to the release of SO2

in a simple but effective oxidation:

SþO2ðgÞ ! SO2ðgÞ

Many refining and extractive processes release large
amounts of air pollution containing SO2. For example,
sulfide ores have been roasted in the past with
uncontrolled emissions:

Ni2S3 þ 4O2 ! 2NiOþ 3SO2

The SO2 released often destroyed large tracts of
vegetation downwind from smelters.

Various techniques are used to remove sulfur from
stack gases. The use of lime (calcium hydroxide) or
limestone (calcium carbonate) slurries to absorb SO2

is widely adopted. The main product, calcium sulfate,
is not seen as an environmentally hazardous by-
product, although it can be contaminated with trace
metals. However, the amounts of lime required can be
extremely large. There are often problemswhere these
are mined from attractive sites of great ecological and
recreational value. Regenerative desulfurization proc-
esses such as theWellman–Lord procedure absorb SO2

into sodium sulfite solutions converting them to
sodium bisulfite. The SO2 is later degassed and can
be used as a feedstock for the chemical industry (i.e.,
the production of sulfuric acid).

Catalytic converters in vehicles have been used to
remove nitrogen oxides, carbon monoxide, and hy-
drocarbons from exhaust streams. However, under
fuel-rich driving cycles (i.e., lots of accelerating and
decelerating), hydrogen gas is produced in the exhaust.
Three-way catalysts contain cerium dioxide, which
stores sulfur from gasoline under driving conditions as
cerium sulfate. Reduction of the cerium sulfate by
hydrogen gas allows the formation of H2S. This can
create a noticeable odor, where traffic is heavy.

Atmospheric Sulfur Chemistry

Typically the gases we have been discussing are in a
somewhat reduced form in the atmosphere and
undergo oxidation. DMS is oxidized in an oxygen-
rich atmosphere via OH attack:

OHþ CH3SCH3 ! CH3SðOHÞCH3

O2 þ CH3SðOHÞCH3 ! HO2 þ CH3SOCH3

DMSO can yield dimethylsulfone. Methanesulfonic
acid is an important product of DMS oxidation
although the process is not entirely clear. It has been
suggested that this arises from CH3SO2 produced in a
sequence of reactions that follow hydrogen abstrac-
tion by OH from DMS. Once fragmented, the S from
DMS can oxidize to SO2 and sulfuric acid. Lower
temperatures as found at high latitude appear to favor
the production of larger proportions of DMSO and
MSA rather than the more complete oxidation
through to SO2. The oxidation of DMS typically takes
place at time scales of about a day. These processes are
an important source of sulfuric acid over the ocean and
contribute to the production of cloud condensation
nuclei. Sulfur in this form is usually called non sea salt
sulfate to distinguish it from the sulfate from sea salt.
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CS2 reacts in the atmosphere with a 7 day residence
time.

OHþ CS2 ! SCSOH

SCSOHþO2 ! OCSþ SO2 þH

OCS oxidizes only slowly:

OHþOCS ! CO2 þHS

However, in the stratosphere the molecule can photo-
fragment into CO and S which can ultimately oxidize
to contribute to sulfate particles.

Homogeneous oxidation of SO2 takes place
through OH attack:

SO2 þOH ! HOSO2

O2 þHOSO2 ! SO3 þHO2

The sulfur trioxide reacts very rapidly with water to
form sulfuric acid. This can be a significant pathway,
but if liquid water is present heterogeneous mecha-
nisms yield most of the sulfate.

Chemistry of Sulfur in Rain and
Cloud Water

The interaction of SO2 with water is responsible for
much of its removal from the atmosphere. SO2 is not
especially soluble in water, but subsequent equilibria
increase the partition into cloud water at typical pH
values.

SO2ðgÞ þH2O ¼ H2SO3ðaqÞ

H2SO3ðaqÞ ¼ HþðaqÞ þHSO3
�
ðaqÞ

KH ¼ mH2SO3=pSO2; 5:4mol l�1 atm�1at 15�C

K0 ¼ mHþ mHSO3
�=mH2SO3;

0:027mol l�1 at 15�C

where m and p refer to the molarity and pressure of
aqueous and gaseous species, respectively.

SO2 dissolves in water as (SO2)aq ‘sulfurous acid’
(H2SO3). It is usually sufficient to treat only the first
dissociation to the bisulfite anion ðHSO�

3 Þ as the
subsequent dissociation to the sulfite ion is usually
small in cloud droplets. The concentrations expressed
here inmolar ormolal units should be as activities, but
in rainwater the deviations from ideality are small. At
pH5.4 in a typical cloudwith a gramof liquidwater in
each cubic meter, SO2 will partition equally into both
phases. Once dissolved, sulfur dioxide can be oxi-
dized, but oxidation by dissolved oxygen is typically

rather slow. The production of sulfuric acid, which is
much stronger, leads to acidification.

0:5O2 þHSO3
� ! Hþ þ SO4

2�

This simple oxidation can be catalyzed by iron,
manganese, and other transition metals in the atmos-
phere, but in unpolluted rainfall the metal concentra-
tions are likely to be low. Here more typically the
reaction proceeds with oxidants such as dissolved
hydrogen peroxide (or other atmospheric peroxides)
and ozone. The hydrogen peroxide route is a partic-
ularly significant one as the reaction is faster in acid
solution. Thismeans that it does not slowas the system
becomes more acidic with the production of sulfuric
acid. This oxidation can be represented as follows:

ROOH þHSO3
� ¼ ROOSO2

� þH2O

ROOSO2
� ! ROSO3

�

ROSO3
� þH2O ! ROHþ SO4

2� þHþ

Hydrogen peroxide is an especially important droplet
phase oxidant because the gas is very soluble in water
and readily produced in atmospheric solutions by
photochemicalmechanisms.Other oxidants produced
in solution, such as peroxynitric acid, appear to be
important:

HOONO2 þHSO3
� ! 2Hþ þNO3

� þ SO4
2�

The ozone-driven oxidation is written as

HSO3
� þO3 ! Hþ þ SO4

2� þO2

and although ozone is abundant in the atmosphere it is
not very soluble.

In general, the overall oxidation in the remote
atmosphere takes 2–4days, but under some conditions
it can be much faster. In urban areas plentiful supplies
of transitionmetal catalysts and oxidants can enhance
the rates considerably, especially if there are alkaline
materials from fly ash or ammonia to neutralize the
growing acidity of droplet phases which limits SO2

solubility.
Land surfaces, particularly those covered by vege-

tation, represent a further removal process as SO2 is
dry deposited to these surfaces. Although we use the
term dry deposition, the vegetated surfaces act as if
they are wet and gas exchange takes place with
effectively wet surfaces on or inside leaves. Such dry
deposition is most significant where SO2 concentra-
tions are high (polluted regions). The dissolution of
SO2 in water, most particularly sea water (which is
alkaline), represents a further important sink.
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Acidification

The production of sulfuric acid in air masses over
industrialized continents led to the acid rain problem.
This acidification was recognized by the mid-nine-
teenth century, initially as emissions of hydrochloric
acid from the alkali and soap industry, but later coal
combustion was also seen as an important source of
acid. By the 1950s, long-term records of rainfall
chemistry showed increasing fluxes of sulfuric acid to
the ground. In Scandinavia, poorly buffered soils
began to respond to the effects of acid rain and the pH
of lakes declined, resulting in a loss of fish. Through
the 1970s and more particularly the 1980s, acid rain
became a keenly fought environmental issue, which
led to a range of protocols in North America and
Europe that served to limit the release of sulfur into the
atmosphere.

Acids accumulated over thewinter are concentrated
into the first meltwaters of spring and send an acid
shock through the environment. Young fish are readily
injured, but amphibians such as frogs and salamanders
also suffer. More generally the delicate ecological web
that depends on the freshwater systems is affected. The
debate over acid rain also examined the effects on
forests. Forest damage arises from a complex array of
factors that include air pollution (ozone, SO2, acid
rain, etc.) along with climate stress (i.e., drought),
forest management practices, the age of stands, etc.
Acidified rain could change the nutrient balance of
soils (magnesium, potassium, and calcium) and mo-
bilize toxic metals (aluminum, cadmium, zinc, etc.).

Damage to buildings is frequently seen as an
important impact of acid rain, perhaps because we
confront our urban fabric almost every day. It is
exposed to the ravages of high concentrations of air
pollution, which means that buildings have long been
disfigured by sooty crusts. Hidden underneath these
crusts damage takes place through the oxidation of
deposited SO2. Stones build up thick gypsum (calcium
sulfate) layers and metals are also prone to attack. In
general, the deterioration of metal work and, to a
lesser extent, stone has declined as SO2 concentrations
have decreased in urban air.

There is now a decrease in the sulfur deposited in
rain over Europe. This has led to complaints that some
agricultural crops are now sulfur deficient. Although
acid rain provided sulfur for crops, it is obviously
important to remember its large-scale harmful effects
before regretting its gradual elimination. Even though
sulfur deposits have decreased inEurope, the acidity of
rain has not always fallen to match this decline.
Increases in nitric acid in air (from nitrogen oxides
produced during combustion) and a decline in the
alkaline content of the atmosphere may account for

this. Today the acidification of rain has shifted
geographically to tropical regions with fast-growing
economies. Here there are new problems on ecosys-
tems and land types quite different from those affected
in Europe and North America.

Aersosol Sulfur and Climate

Sulfate in the atmosphere is present some of the time in
acid aerosols, most commonly sulfuric acid or ammo-
nium bisulfate. The sulfuric acid aerosol is typically
present at diameters of 2–3 mm. This makes the
particles excellent cloud condensation nuclei (CCN),
but also a potential threat to human health when they
are found concentrated in urban air. Sulfates, nitrates,
and methanesulfonates are frequently found at en-
hanced concentrations on sea salt aerosols as these
strong acids can displace as much as 90% of the
chloride as hydrogen chloride, which degases to the
atmosphere.

Sulfate aerosols appear to have an important role in
controlling climate. TheCO2-driven greenhouse effect
provides a link between increases in global tempera-
ture and rising emissions of CO2 from fossil fuels. SO2

is also a product of much fossil fuel use and results in
the presence of sulfate particles in the atmosphere.
These particles are likely to increase the number of
CCN and hence the reflectivity of clouds. This would
enhance the albedo of the Earth and lessen the
temperature increase imposed by anthropogenic CO2

emissions. The cooling effect, although difficult to
estimate, is only a fraction of the increase from
greenhouse gases.

Aerosols are incorporated into the well-known
Gaia hypothesis, which sees the Earth as a self-
regulator entity, particularly in terms of its tempera-
ture. One of the main ways in which atmospheric
processes have been interpreted within the Gaia
concept has been the potential for DMS emissions to
stabilize temperature, against changes imposed by
shifts in solar irradiance (Figure 3). This is known as
the CLAW hypothesis, after Charlson, Lovelock,
Andreae, and Warren, who first suggested it in 1987.
It sees long-term climate as part of a feedback loop in
which warmer temperatures would increase phyto-
planktonic activity in the oceans. This in turn would
increase emissions of DMS. Higher DMS concentra-
tions in the atmosphere would increase sulfate con-
taining CCN and thus cloudiness and albedo. This
would lead to lower temperatures. It is an attractive
and popular vision of the biological mediation in
global climate, althoughproof from ice cores has yet to
offer convincing proof for this concept of climate
control.
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Despite the size of the natural sulfur reservoirs,
combustion of fossil fuels,mining, agriculture, and the
drainage of large saline basins such as the Aral Sea
have had a major impact on the sulfur cycle. Wind-
blown sulfate dusts and acid rain have increased, and
although emissions may have shifted away from the
North Atlantic sector in recent decades, ant-
hropogenic impacts on sulfur cycles will remain an
important consideration in developing regions for
some time to come.
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Figure3 Schematic representation of theCLAWhypothesis. Here phytoplanktonic activity in the oceans affects the emissions of DMS.

Its oxidation can form sulfate-containing CCN and increasing cloudiness and albedo, which would lead to lower temperatures. If these

lower temperatures cause the phytoplankton to produce less DMS, climate could effectively be controlled.
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Introduction

Away from the surface the atmosphere is mainly
statically stable with little small-scale turbulent mix-
ing occurring outside frontal regions, areas withmoist
convective updrafts, and regionswith breaking gravity
waves generated by hills and mountains. In contrast,
adjacent to the surface the flow is nearly always
turbulent, with the turbulence generated by the action
of wind shear and/or buoyant convection. This layer
adjacent to the surface in which vertical mixing is
especially important is termed the boundary layer. In
fact, turbulent boundary layers involving shear or
buoyancy effects are a key feature of all bounded fluid
flows at high Reynolds number. However, the atmos-
pheric boundary layer involves a variety of features
and processes in addition to shear and buoyancy. For
example, there is often a distinct interface at the height
where the mixing reaches the base of the stable free
atmosphere above. Other dynamical and thermody-
namical processes that affect the atmospheric bound-
ary layer are Coriolis forces produced by the planetary
rotation, and factors such as the formation of clouds
and radiative heat transfer.

The ocean is also mainly statically stable and has
boundary layers at its top and bottom. The boundary
layer at the bottom of the ocean, which is generally

much thinner than the atmospheric boundary layer, is
called the benthic boundary layer. Here fluxes of heat
and buoyancy influences are weak and the boundary
layer is usually shear-driven. The surface of the oceans,
in contrast, can have substantial fluxes of buoyancy as
well as significant shear arising from the influence of
the wind at the surface.

The term boundary layer is also sometimes used in
association with flows and currents that are concen-
trated against the sides of basins or orography. These
features, such as the Gulf Stream in the North Atlantic
Ocean, arise from the flow dynamics without mixing
playing a critical role. They are not discussed further
here.

Role in the Overall Atmosphere

The boundary layer has an important influence on the
behavior of the atmosphere as a whole, and activities
involving the representation of the atmosphere such as
climate modeling and numerical weather prediction
cannot succeed without the boundary layer being
represented in some detail. The main influences on the
atmosphere as a whole are as follow:

� Over level terrain the boundary layer determines the
drag between the atmosphere and the surface and
this drag is themainmechanismbywhich the energy
in the large-scale motion is dissipated. With small-
scale orography the drag also occurs through pres-
sure forces whose magnitude is influenced by the
boundary layer turbulence.

� It provides a buffer between the surface and
the atmosphere, thus influencing the transfer of
heat and moisture between the surface and the
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atmosphere and, in particular, the way surface solar
heating is partitioned into sensible and latent heat
fluxes.

� It is critical in determining the properties of air
entering the base of clouds that form the roots for
moist convection extending into the atmosphere
above the boundary layer.

� It plays a central role in determining the occurrence
of low-level cloudwithin the boundary layer and the
consequential effects on radiation budgets.

� It tends to retain aerosols and pollutants from the
surface, with the transfer of such polluted air to the
free troposphere being limited mainly to moist
convection and frontal motions which, through
washout, leave the main atmospheric air freer of
such material.

Role in the Local Atmospheric Environment

The boundary layer is of particular significance to
human activities and natural processes occurring on
the Earth’s surface. Here prediction and understand-
ingof the local environment requires anunderstanding
of the boundary layer. In particular, the boundary layer
is important for predicting a range of parameters such
as

� the near surface wind and turbulence;
� daily maximum and minimum temperatures;
� visibility and fog;
� the dispersion of pollutants and other material.

Role in the Oceans

As in the atmosphere, boundary layers in the oceans
play an important part in the overall and local ocean
circulations:

� In the deep ocean, the bottom benthic boundary
layer has only a weak dissipating influence on the
ocean circulation, although it plays a more impor-
tant role on the continental shelf and in coastal
regions.

� The surface boundary layer plays a key role in
influencing the rate of exchange of heat and mo-
mentum between the atmosphere and the ocean and
is consequently critical to the ocean circulation.

Theoretical Framework

In turbulent flow, the fluxes of flow variables are
caused by the differing properties of air ‘parcels’
moving indifferent directions relative to themeanflow
(the mean flow usually being defined, from a practical
perspective, as an average over a period of order an
hour). For example, if the rising air parcels arewarmer
than those descending, then therewill be a vertical flux

of heatH. This heat fluxH is equal torcphw0T 0i,where
r and cp are the density and specific heat capacity of air
and hw0T 0i is the covariance ofw0 andT 0, the turbulent
fluctuations in vertical velocity and in temperature
about their means. Similarly, the covariance between
the horizontal and vertical velocities gives rise to a
downward vertical flux of horizontal momentum s
which is given by�rhu0w0i, where u0 is the fluctuation
in the horizontal component of velocity. Such a
momentum flux is often referred to as a turbulent
stress.

These turbulent fluxes have a major effect on
the flow. For example, if we consider the average
flow in a horizontally homogeneous boundary layer
over an area of the earth surface, the governing
equation of the horizontalmomentumbalance is given
by eqn [1].

dU

dt
¼ � 1

r
grad p� fk3Uþ 1

r
ds
dz

½1�

Here p is the mean pressure, f is the Coriolis
parameter, k is a unit vertical vector, U is the
(horizontal) mean velocity vector, and z the vertical
coordinate, with the adjective ‘mean’ being used to
indicate quantities where the turbulent fluctuations
have been averaged out. Above the boundary layer
where s is zero, the flow will tend to adjust to a steady
state with a balance between the pressure and Coriolis
forces, leading to a geostrophic flow at right angles to
the pressure gradient. Within the boundary layer,
however, there is a rotation of the flow away from the
geostrophic direction, with the wind having a compo-
nent directed down the pressure gradient. Similar
equations can be written for other variables such as
temperature or humidity. These equationswill contain
a balance between the rate of change and the flux
gradient, together with any source terms such as – in
the case of the temperature equation – the radiative
transfer divergence.

Field experiments have yielded many useful data on
flow covariances such as hu0w0i. In a theoretical
description the key issue is to estimate the covariance
from the flow properties. This is an impossible
problem to resolve fully, because the flow eddies
determining the flux evolve through complex,
nonlinear and turbulent interactions, making it in-
tractable to obtain exact solutions for the fluxes in
terms of the mean flow variables. In many cases,
however, progress is possible through simple closure
approximations (which relate the turbulence statistics
to the local mean flow) and/or through consideration
of bulk models.

The simplest closure method is the eddy-viscosity
approach in which the flux is assumed proportional
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to local mean gradients through a turbulent ‘eddy
viscosity’ or ‘eddy diffusivity’, in the same way as
fluxes due to molecular motions are related to gradi-
ents via molecular viscosities and diffusivities. In the
case of the velocity covariance in the momentum
balance equation, this leads to the approximation of
eqn [2].

�hu0w0i ¼ K
dU

dz
½2�

K is the eddy viscosity, which varies in space and time.
K itself is usually determined by a combination of
dimensional considerations and empirical measure-
ments. It can usefully be thought of as a turbulent
velocity scale multiplied by a length scale, by analogy
with the way molecular mixing is related to the size of
molecular velocities and the length of the mean free
path. Close to the surface, dimensional considerations
imply a dependency on the distance from the surface
(physically this is because eddy sizes are restricted by
the presence of the ground and so tend to be smaller
close to the ground) while toward the middle of the
boundary layer some length scale related to the
boundary layer depth will prevail. A separate estimate
of velocity scale is needed. This may be obtained from
local or bulk considerations. A local determination
can bemade by considering amixing lengthmodel (see
below) or by considering the turbulence energy equa-
tion with consideration of both shear and buoyancy
effects.

Although eddy viscosity approaches and other
closure models are only an approximate representa-
tion of the turbulence properties, under appropriate
conditions model-independent results can be derived
through dimensional considerations combined with
an empirical determination of dimensionless constants
or functions. Such similarity descriptions have exten-
sive application in a region near the ground where the
flow depends on only a few variables. This region,
called the surface layer, occupies the part of the flow
where the height z is much greater than the roughness
elements butmuch less than the depth of the boundary
layer. The structure of the flow in this region is thought
to be characterized by a few parameters, namely, the
friction velocity un (defined as

pðt=rÞ where t is the
magnitude of the surface stress), the surface flux of
sensible heatH, and the height z above the surface. In
neutral stability conditions, with H ¼ 0, dimensional
analysis then leads to eqn [3].

dU

dz
¼ un

kz
½3�

k is the von Karman constant (which has an empiri-
cally determined value of about 0.4) and U is the

magnitude of themeanwind. Integrating this equation
leads to the log law (eqn [4]).

U ¼ un

k
log

z

z0
½4�

Here z0, the constant of integration, is related to the
height of the roughness elements and is called the
roughness length. It is typically about one-tenth of
the actual height of the roughness elements.

The eddy viscosity approach can provide an exact
match to these similarity relations if appropriate
empirical choices for the coefficients and the various
scales are used. As a simple illustration, consider the
situation in the surface layer for the case of neutral
stability.Herewe canwrite eqn [5],where l0 andu0 are
the length and velocity scale determining the eddy
viscosity K.

hu0w0i ¼ K
dU

dz
¼ l0u0

dU

dz
½5�

To match the similarity relation [3], we can choose
u0 ¼ un with l0 equal to kz. If we also note that hu0w0i
varies only slowly within the surface layer (the surface
layer is often as a result referred to as the constant-
stress layer) and that it can be approximated by the
surface stress u2

n
, thenwe again obtain the log law. The

choice of un as the correct velocity scale can be difficult
to understand (both here and in the pure similarity
approach above) and one way to motivate this is to
consider a mixing length model. We assume air is
mixed in the vertical over a length scale l0 (the mixing
length) and assume that the air starts off with the local
mean horizontal velocity and retains this velocity as it
travels. At the end of its journey it has a horizontal
velocity that differs from the local mean by
u0 � l0ðdU=dzÞ. Taking this as our velocity scale u0
we obtain eqn [6].

u2
n
¼ hu0w0i ¼ l0 l0

dU

dz

����
����

� �
dU

dz
¼ ðkzÞ2 dU

dz

����
���� dUdz ½6�

These surface relations can be refined to incorporate
buoyancy effects. From dimensional considerations,
the velocity scalewf at a height scale zdue to aheat flux
H is given by eqn [7].

w3
f ¼

kgHz

rcpT
½7�

This order of magnitude estimate of the local buoy-
ancy-driven velocity scale could have been more
physically derived by considering the energy equation
or buoyancy accelerations subject to the key recogni-
tion of distance from the surface as the relevant
length scale. From similar dynamical considera-
tions, we can derive an important length scale, the
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Monin–Obukhov lengthL, which is the height scale at
which the shear and buoyancy velocity scales are
equal. It is defined by eqn [8].

L ¼ �zu3
n

w3
f

½8�

This is a key parameter in the surface layer, and z=L is a
measure of the relative role of shear and buoyancy in
the production of turbulence. The flow in the surface
layer is then determined by eqn [9].

dU

dz
¼ un

kz
jM

z

L

� �
½9�

Here jM is an empirical function which has been
estimated experimentally. Similar relations hold for
other variables, andby integration stability-dependent
bulk formulas can also be obtained.jM is greater than
unity in stably stratified conditions ðL >0Þ where
turbulence transfer is weaker (i.e. for fixed dU=dz the
momentum flux is reduced) and less than unity in
convective conditions ðLo0Þ. At heights much less
than jLj, buoyancy effects are unimportant and
jM � 1, with U approaching the log law appropriate
for neutral conditions.

In amodel of the boundary layer, the net impacts can
be described by bulk drag and transfer coefficients that
relate the surface stress to the wind U at some finite
height via eqn [10].

s ¼ CDjUjU ½10�

It is trivial to relate this bulk formula to the similarity
result – for example, in neutral conditions CD is given
by CD ¼ ðk= logðz=z0ÞÞ2.

Although the classical surface layer theory outlined
above has proved to be one of the cornerstones of
boundary layer theory, it is important to realize that it
may not be exactly correct. For example, the presence
of large eddies that fill the boundary layer will cause
horizontal fluctuations inwind near the groundwhose
properties depend on the boundary layer depth. This is
particularly true in convective conditions, but may
also play a role in other types of boundary layer.

Types of Boundary Layer

In both the atmosphere and the oceans, boundary
layers occur in forms that can be complex, involving a
diverse mixture of processes and space and time
dependencies. In spite of this general complexity,
boundary layer properties can often be understood in
terms of the properties of a number of idealized cases,
and these cases provide an overview of the range of
possible behavior. The simplest cases are those with

horizontally homogeneous and steady conditions, and
these are best classified by stability.

In the neutral boundary layer,where the surface heat
flux is negligible, the wind increases steadily with
height (although at a decreasing rate) and the wind
direction varies throughout the boundary layer. Such
neutral conditions, where shear flow turbulence gen-
eration dominates, occur as often because the wind
speed is large because the heat flux is actually close to
zero. The relevant criterion is that the boundary layer
depth is smaller than the magnitude of the Monin–
Obukhov length L. Turbulence levels scale on the
friction velocity un and decrease steadily with height.
With a geostrophic wind speed of 10m s�1, typical
values of un and of fluctuations in wind speed are
about 0.3m s� 1 and 1m s�1 respectively, depending
of course on the surface roughness. If there are no
thermal effects at all, then the boundary layer depth is
of order 0:3un=f. However, the term neutral boundary
layer usually refers only to the absence of a heat flux at
the surface, and stratification and subsidence above
the boundary layer almost invariably play an impor-
tant role in restricting the actual boundary layer depth.

In convective boundary layers the surface heating is
sufficient to make the Monin–Obukhov length very
much less than the boundary layer depth. The vertical
mixing is stronger and this tends to produce nearly
uniform profiles of velocity and temperature, with
variations largely confined to near the surface and the
boundary layer top. With heat being continually
added at the surface, a completely steady situation is
impossible and the boundary layer usually grows
slowly as the stable stratification above the boundary
layer is eroded. The nature of this erosion often acts to
sharpen gradients at the boundary layer top and
frequently there is a strong temperature inversion
extending over only a few tens of meters. Vertical
turbulent velocities tend to peak some way above the
ground (at about a height of d=3 where d is the
boundary layer depth), with lower values near the
ground and boundary layer top. Horizontal turbulent
velocities, however, are more uniform as these are not
blocked by the presence of the ground. The typical
velocity scale is linked to the boundary layer depth and
is of order the convective velocity scale wn which is
given by eqn [11].

w3
n
¼ kgHd

rcpT
½11�

A typical value for the daytime convective boundary
layer inmid-latitudes is about 1or2m s� 1. The largest
eddies extend throughout the depth of the boundary
layer. In summer in mid-latitudes with clear skies,
convective boundary layers will reach a depth of order
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2km by late afternoon. Pollutants emitted into con-
vective boundary layers are dispersed rapidly. This
leads to small ground level concentrations from near-
surface emissions. However, convective conditions
can lead to high near-surface concentrations from
releases from elevated stacks because the rapidmixing
can bring material down to the ground quickly before
it has been much diluted. In these conditions plumes
are often seen to ‘loop’ up and down as they are
distorted by boundary layer eddies that are much
larger than the plume.

In stable boundary layers that generally occur at
night or over other cool surfaces, mixing is greatly
reduced and temperature and wind vary across the
whole depth of the boundary layer at a more constant
rate than in neutral conditions. Three-dimensional
turbulent eddies tend to be smaller than in the neutral
or convective cases and turbulence levels tend to be
low (although they scale with un as in the neutral case,
un itself tending to be smaller in stable cases). In
addition to the three-dimensional turbulence, slow
lateral meandering motions are often present. Stable
boundary layers tend to be much shallower than
convective or neutral boundary layers, with a typical
depth of order 100–200m. Often, however, wind
shear is present above the true stable boundary layer
due to the legacy from the daytime boundary layer
and/or inertial oscillations. In very stable cases it seems
that the turbulence can be completely suppressed at
times and becomes intermittent. This regime is very
hard to understand and predict because small influ-

ences that have a negligible effect on neutral and
convective boundary layers can become important –
examples are slight slopes, variations in the thermal
properties of the ground, and spatial variations in
cloud cover. Pollutants emitted into stable boundary
layers are dispersed slowly. This can lead to high
ground level concentrations for near-surface sources.
However, ground level concentrations from elevated
sources can be small because the plume is mixed down
to the ground only very slowly, and may be released at
such a height or with sufficient buoyancy that it is
carried completely above the boundary layer. Typical
profiles of wind and temperature for neutral, convec-
tive, and stable boundary layers are shown in Figure 1.

In the real atmosphere, conditions always vary with
time, but usually the time variation is slow enough for
themain characteristics of the ideal boundary layers to
prevail. A primary cause of variation over land is the
diurnal cycle. The boundary layer starts at nightwith a
shallow, stable layer. As the sun rises and heats the
ground, convective turbulence is generated and a
convective boundary layer is formed that gradually
erodes the stable layer above the boundary layer to
reach its maximum depth by late afternoon. Then the
sun sets and the ground starts to cool, with thermal
effects now tending to suppress the turbulence. As a
result, the turbulence decays rapidly except in a
shallow layer near the ground, which forms a new
stable boundary layer. Although this is a useful
idealized description, it should be noted that there
are many situations in which it does not apply. For
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Figure1 Illustration of typical profiles ofmeanwind ðU; V Þ and potential temperature ðyÞ in neutral, convective, and stable atmospheric

boundary layers, for a geostrophicwind of 10ms� 1 and a surface temperature of 201C. The dashed lines indicate the boundary layer top,
which is generally well defined only in the convective case. The profiles are based on the results of large-eddy simulations for idealized

conditions but, for reasons of illustration, have been adjusted to indicate the typical relative depths of the three types of boundary layer.

Real profiles will show significant differences due to a range of influences and to the presence of turbulent fluctuations that will not be

completely removed even if the profiles are averaged over a period of an hour.
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example, in strongwinds, the ‘mechanical’ effectsmay
dominate the thermal effects in the boundary layer
energy balance, leading to an effectively neutral
boundary layer. Also, at high latitudes the sun may
not be strong enough tomakeH positive. Over the sea
the diurnal cycle is almost absent owing to the greater
heat capacity of the sea and hence the smaller changes
in surface temperature.

In this short introduction it is especially difficult to
do justice to the full range of complexities that can
have some influence upon the boundary layer, but we
can note some key ones. Clouds and fog within the
boundary layer do not release enough rain or drizzle to
be significant net sources of latent heating but rather
have influence through acting to redistribute heat and
moisture within their circulations and through the
effect of radiative cooling on the cloud tops. Such
cooling can be the main source of turbulence energy
production in situations with fog and stratocumulus-
capped boundary layers. Entrainment is a key process
in the heat and moisture budgets of such boundary
layers, and the development of cloudy boundary layers
is sensitive to this and the surface fluxes. The entrain-
ment can be driven by the action of the boundary layer
eddies and is also influenced by wind shear and the
potential for dry entrained air to give evaporative
cooling of the cloud.

The matching of the description of the turbulent
flow to the surface properties is a key issue because the
surface fluxes are critical to the overall boundary layer
properties. At the surface a great range of complex
issues prevail as the flow interacts with the obstacles
and vegetation that comprise the surface. The avail-
ability of empirical data is usually essential to quan-
titative prediction. Over homogeneous surfaces with
level terrain we have noted that the momentum
transfer properties of the surface can be represented
by the roughness length z0. Corresponding roughness
lengths can also be used for heat andmoisture and they
are generally much smaller because scalar fluxes do
not involve pressure forces. They are also less accurate
in use owing to variationswith plant properties as they
interact with varying soil moisture, humidity, temper-
ature, and radiative fluxes. It is common in models to
refine the treatment of vegetated surfaces with plant
canopy models that seek to represent key processes
such as those of the plant stomata, and even flow
within the plant canopy.

The task of representing the surface is made more
difficult by the presence of heterogeneity in the surface.
The boundary layer tends to respond to an area
average of the surface properties. This is somewhat the
inverse of the way in which a pollutant from a point
source would occupy a large area at heights some
distance above the surface. The methods of forming

area average properties involve consideration of
boundary layer dynamics. Orography on a scale of
several kilometers or less is another important surface
feature. The consequent pressure forces on the flow
give a large surface drag with high levels of turbulence
and mixing.

Over the sea it is usual to use either roughness
lengths or the equivalent bulk transfer relations. The
values are not constant but are mainly functions of
wind speed. The momentum transfer occurs mainly
through pressure forces on the waves and varies with
wind speed as a result of its influence on the wave
height. The values of roughness length are generally
smaller than over land surfaces. The scalar transfer
coefficients increase only weakly with wind speed and
spray generationmaybeone cause of this. Forwaves in
equilibrium with the wind there are reasonable
empirical descriptions of the transfer coefficients.
More refined approaches seek to use wave models to
allow for the waves being out of equilibrium with the
wind. There also remains uncertainty over transfer in
very strong wind conditions when severe spray makes
measurements impossible. These surface fluxes match
into the oceanic surface boundary layer, which also
receives the influence of any radiative transfer and
input of fresh water from precipitation. The oceanic
surface boundary layer is subject to dynamics compa-
rable with those of the basic neutral, stable, and
convective atmospheric boundary layers. However,
the time scales for the variations in the mean structure
of the temperature and salinity profiles differ and
derive from a combination of the seasonal heating and
cooling modulated by the daily weather cycles. The
main areas of the ocean have a stable thermocline
somewhat analogous to the stable cap of most
atmospheric boundary layers. Deep penetrating con-
vective motion tends to occur in more limited areas
where strong cooling occurs. In the atmosphere,
vertical movement of air through a significant fraction
of the depth of the troposphere is similarly restricted in
its area, but the areas of occurrence are linked tomoist
convection in deep cumulus clouds or frontal zones
and not directly to persistent heating.

Practical Boundary Layer Models PBL

Models of a variety of types are used to represent and
predict boundary layers. Even the simplest work well
in some cases, while even the most complex is not able
to give reliable results in all circumstances. Fortunate-
ly we have a fair understanding of the reasons for
success and failure and can at least anticipate these.

The simplest of these models are ‘bulk’ models that
estimate, for example, the drag and the boundary layer
depth directly from the external parameters such as the
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wind above the boundary layer and the roughness
length.More sophisticatedmodels attempt to estimate
the various fluxes that occur in the equations for the
mean boundary layer properties. This is done either
directly and locally within the flow in terms of the
mean quantities (mixing length models are the main
example here) or by deriving equations for the fluxes
and then attempting to estimate the unclosed terms in
those equations. The full equations for the fluxes can
be simply derived from the equations ofmotion. Just as
in the averaged equations of motion, where a closure
model is required for the fluxes, so in these new
equations a closure is needed for the higher-order
terms that appear. The terms requiring closure involve
triple moments and correlations of velocity and
pressure. In a so-called second-order closure, a closure
assumption is made for these terms. Generally this
closure is, as inmixing lengthmodels, in terms of local
flow properties. Such models usually only address the
very difficult issue of nonlocal influences through a
more questionable derivation of the local turbulence
length scale and through diffusion of the second-order
quantities. Typically, in situations where mixing-
length models are reasonable, higher-order closure
models will do better, and are quite successful in
capturing the extra flow details. Neither model can
usually deal at all well with the details of flows such as
convective ones with strong nonlocal influences.
Higher-order closures such as third-order ones have
shown success in some cases but they seem unreliable
when applied over a wide range of flows.

More sophisticated again are large-eddy simulation
(LES) models. These models attempt to simulate
the detailed evolution of the flow eddies within the
boundary layer, although of course, because the
smallest structures have a size of order 10� 3m, it is
impossible to describe the entire flow indetail. Instead,
the largest eddies are simulated, with the effects of the
smallest scales parametrized (e.g., with a mixing
length model). The hope and evidence are that results
will be insensitive to the treatment of these small scales
and so results will not be compromised by errors in the
parametrization. In using the LES technique it is not
expected that the instantaneous details of the flowwill
correspond to a particular real case. Instead, themodel
results are used to derive mean quantities which, by
averaging out the unpredictable turbulent variability,
should be comparable with reality. In this sense the
model is used more in the way climate modelers use
large-scale meteorological models than in the way
weather forecasters use them. The results from LES
show great promise for the future and with adequate
numerical resolution they offer a basis both to make
direct predictions and to provide flow details with
which to develop other closure methods. It can be

argued that in the interior of the boundary layer little
more is needed from the subgrid parametrization than
to allow dissipation to occur explicitly at the smallest
resolved scales. The only particular difficultywith LES
is that it depends on achieving a correct parameteriza-
tion near the surface. At the surface the flow eddies
become too small for the LES to describe them
explicitly. The LES solutions depend upon the closure
in this region and in the transition from this region to
the flow interior where the resolved eddies dominate
the flow.

Models for predicting the dispersion of material in
the boundary layer also have a similar range of degrees
of sophistication. The simplest models estimate the
width of any plume spread directly from a few
parameters, e.g., wind speed, time of day and year
(to estimate the solar elevation), and cloud cover
(which affects the surface radiation budget). Some
models involve mixing-length type assumptions or
higher-order closure models. For a dispersing plume,
the horizontal variations are critical as well as the
vertical ones and so, unlike boundary layer models
that are often one-dimensional, a fully three-dimen-
sional description is required. A more sophisticated
approach is to simulate the motion of many elements
of the pollutant in a ‘stochastic Lagrangian particle’
model. Here the statistical properties of the flow (e.g.
mean flow and velocity variances and covariances) are
assumed known and a stochastic model for the
random dispersion of pollutant ‘particles’ is construc-
ted to be consistent with these flow statistics. Finally,
the LES technique described above can be applied to
calculate dispersion as well as the mean flow and
turbulence, either by tracking particles within the LES
flow or by solving an equation for the evolution of the
concentration field.

Summary and Challenges

Our understanding of the boundary layer has pro-
gressed greatly over recent decades.Much still remains
to be done, however, and progress will depend
critically on the development of theory, numerical
computations, and the continuing refinement of em-
pirical data. As theory and numerical computations
gain in potential it will remain essential to ensure that
the underpinning empirical factors that are so critical
in turbulence continue to receive good attention.

See also

Boundary Layers: Modeling and Parameterization;
Ocean Mixed Layer; Stably Stratified Boundary Layer;
Surface Layer. Parameterization of Physical Pro-
cesses: Turbulence and Mixing.
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Introduction

From the earliest times writers and artists have given
us their verbal and pictorial images of the character-
istic and repeating patterns of the irregular eddying
motions in the lower part of the atmosphere. One can
see their form in long streaks of snow (called by one
writer ‘rivers of wind’), vortices spurting from the
desert surfaces in sandstorms, billowing fog-banks
and towering cumulus clouds reaching 10 kmupwards
to the tropopause (e.g. Scorer 1978). The scientific
study of these coherent structures began in 1802–03
when Lamarck in Paris and Luke Howard in London
noted that there are only a few types of clouds which
can therefore be usefully classified. Howard, whose
nomenclature (cumulus, stratus, cirrus) has only been
slightly changed by later research, had the insight to
realize that those structures define the essential
dynamics governing the flow. The importance of his
insight was recognized by Osborne Reynolds in 1895
when he was establishing the fundamental statistical
laws of the ‘new’ subject of turbulence.

It is now generally accepted that the comprehensive
study of any type of turbulent flow, especially atmos-
pheric flows, requires combining the statistical ap-
proach with the description and analysis of coherent
eddy structures, i.e. motions driven by the unstable
inertial and buoyancy forces in the flow that have a
characteristic, repeatable and persistent form yet are
internally unpredictable and occur randomly in space
and time. Development of the dual approach has
improved the understanding of the approximations in

the statistical approach (as Prandtl indeed first pointed
out in 1925), while the statistical analysis also
provides a quantitative model for the coherent struc-
tures (e.g. Holmes et al. 1996).

When the only systematic measurements were
obtained from time series recorded by isolated instru-
ments, it was natural that the study of atmospheric
motions was essentially statistical, analyzing correla-
tions and spectra (Panofsky and Dutton 1984) and
then using the governing equations of fluid flow
to calculate the mean dynamics and energetics,
following Reynold’s analysis. However, the new
technology and capability of multipoint tower
and radar measurements (e.g. Kaimal and Finnigan
1994) together with the computational capacity
to perform numerical simulations (at varying degrees
of accuracy) have now provided nearly complete
descriptions of the instantaneous and time develop-
ment of coherent structures in different atmospheric
conditions. These broadly confirm earlier concepts
based on observations, clouds, bird flight and dust
patterns.

Structures tend to be particularlywell definedwhere
one type of structure dominates the boundary layer,
such as thermal plumes in unstable boundary layers or
Kelvin–Helmholtz billows (which e.g. occur in the
stable layer), the undulating top of themixed layer and
sea breeze fronts. When there are more types of
structures or where these are evolving from one form
to another, there are no dominant structures and their
descriptions are less precise. Quantitative evaluation
of their velocity and pressure fields have shown that
structures contribute significantly to the overall dy-
namics of the flow. That is why they tend to determine
the form of the velocity spectra, e.g. of the vertical and
horizontal components, especially in the distorted
eddy structure near the ground. Just as important in
practice, structures also affect the statistics of extreme
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events, such as very large gusts or high downbursts of
pollution.

This survey article reviews the various coherent
structures in atmospheric turbulence. First the hori-
zontally homogeneous boundary layer is considered,
then the structure of the boundary layer over inhomo-
geneous and rough terrain and equally importantly
over the oceans.

The Stationary, Horizontally
Homogeneous Atmospheric Boundary
Layer Over Flat Terrain

In Figure 1 are classified the horizontally homogene-
ous atmospheric boundary layer in terms of the ratio
h=LMO between the boundary-layer height h and the
Monin–Obukhov lengthLMO and the ratio z=h, where
z is the height above the surface. TheMonin–Obukhov
length characterizes the height above the ground
where buoyancy starts to dominate shear. Since the
forms of eddy structures depend on the balance of
forces within them and on the proximity to bounda-
ries, the type of coherent structure is characterized by
the two parameters h=LMO and z=h. Near the surface,
when h=jLMOj�1, the main statistical features of the
boundary layer tend to be determined locally in terms
of z and local fluxes of momentum and buoyancy.
However, in the upper part of the boundary layer the
large-scale eddying motion are also affected by inter-
actions between the troposphere and the free atmos-
phere above the boundary layer if these are significant.
This means that the typical frequency of the large
eddies in the boundary layer, e.g. un=h, where un is the
friction velocity, becomes comparable with the buoy-
ancy frequency of the stable troposphere NT or the
Coriolis parameter f.

The Unstable or Convective Boundary Layer
(h /LMOoooo0)

Anunstable or convective atmospheric boundary layer
usually occurs when the boundary layer is heated at
the surface, which is being warmed by solar radiation.
Convective layers can also form when the top of the
boundary layer consists of a closed cloud deck, e.g.
stratocumulus clouds. In that case the top of the
boundary layer cools owing to long-wave radiation
from the clouds. The cool air descends which sets up
convective motions in the boundary layer. Here,
however, the discussion is restricted to the convective
boundary layer developing above a surface.

The principle of convection applies to a layer of fluid
with a thickness h subjected to a vertical temperature
differenceDT with the high temperature at the bottom
and the cold temperature at the top. The layer may
become unstable when the buoyancy forces exceed the
damping force of viscosity and the tendency of heat to
diffuse away from convecting elements. This criterion
is usually expressed in terms of the Rayleigh number,
defined as

Ra ¼ bDTh3

kn
½1�

where b is the buoyancy parameter, k the heat
conduction, and n the kinematic viscosity. In
air, b ¼ g=T0, with g the acceleration of gravity
and T0 the absolute mean temperature of the fluid
layer.

The critical value of Ra when fluid motions first
appear lies in the neighborhood of Ra � 2000. The
first instability mode just beyond this critical value is a
flow pattern of two-dimensional rolls. When the
Rayleigh number becomes larger, other modes come
into play and the flow assumes a pattern of hexagonal
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Figure 1 Diagram of the various coherent structures in the atmospheric boundary layer in term of the dimensionless height z=h and the

dimensionless stability parameter h=LMO (Adapted with permission from Holtslag AAM and Nieuwstadt FTM (1986) Scaling the

atmospheric boundary layer. Boundary-Layer Meteorology 36: 201–209.)
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cells with a width about equal to the layer of the fluid.
These are also known as Rayleigh–Bénard cells.

In the atmosphere the Rayleigh number is typically
Ra � 1018, which is so high that the convective flow is
highly turbulent with several types of flow structures.
Hexagonal cloud patterns can sometimes be observed,
e.g. when air is transported from a cold sea surface
over a land surface at higher temperaturewhich sets up
strong convection. However, the horizontal scale of
these cloud patterns is always much larger than the
boundary layer depth, say from 50 to 100 km, which
makes them quite different from the Rayleigh–Bénard
cells. Generally, the structure of convective eddies, as
well as the profiles of the statistical properties of the
turbulence, are determined by the ratio of the surface
buoyancy flux FB ¼ bw0y0 to the rate of transfer of
mechanical energy (u3

n
=h) caused by turbulent shear

stress. Alternatively, this ratio may be expressed as
h=LMO, where LMO ¼ �u3

n
=FB. Note that this ratio

also indicates the relative strength of the convective
turbulent eddies, with a typical velocity wn, and the
shear-dominated eddies, with a typical velocity un,
since h=jLMOj ¼ ðwn=unÞ3.

Let us nowconcentrate on the flowpatterns found in
the convective atmospheric boundary layer, which in
Figure 1 is the region with �h=LMO >10. In the
middle and upper part of the boundary layer, i.e.
z=h >0:1, the flow organizes itself in large-scale
plume- or puff-like structures in which there is a
strong flow upwards carrying the warm air from the
surface to the topof the boundary layer. Plumes tend to
form when there is a constant heat flux at the surface,
for example by strong thermal radiation. The upward
motion is compensated by a weak downward motion
in the area outside the plumes. The consequence of this
velocity structure is that the area-averaged vertical
velocity fluctuations have a positive skewness.

Near the top of the boundary layer, i.e. z=h >0:8,
where there is usually a temperature inversion, the
plume structures impinge on this stable layer. As a
result the strong vertical motions are converted into
horizontal velocity fluctuations which generate
Kelvin–Helmholtz type instabilities in the velocity
profile near the boundary layer top. Owing to these
instabilities, air fromabove the inversion ismixedwith
air of the convective layer. This is called entrainment,
and it causes the boundary layer to grow during the
day. As a result of impinging convective eddies,
wave motions are set up which are partly trapped in
the inversion layer and partly propagate into the free
atmosphere.

Near the surface, in the so-called surface layer, i.e.
z=ho0:1 heating produces structures with a size that
increases with distance z above the ground. Owing to
their mutual entrainment or coalescence, these small

plumes organize themselves into larger structures.
When�h=LMO >10 these take the approximate form
of hexagonal spoke patterns. The lateral extent of
large-scale structures in the surface layer is determined
mainly by the blocking of the relatively wide down-
drafts as they impact on the ground. This mechanism
produces a horizontal wind shear close to the surface
and generates sheared eddieswith a typical velocity un,
as also occurs in unstratified and stable boundary
layers.

When 1o� h=LMOo10 the convective boundary
layer occurs in the combination with a mean wind.
In that case the resulting shear is able to organize
the plumes into rolls with a horizontal separation of
the order of magnitude close to the boundary layer
height. These can sometimes be observed as cloud
streets.

Stable Boundary Layer

A stable boundary layer occurs when the vertical
(potential) temperature gradient in the boundary layer
is positive. This is usually associated with the heat flux
and the associated buoyancy flux FB being negative at
the surface, i.e.h=LMO > 0.However, stable boundary
layers may also occur in spatially developing flows,
such as in cold fronts when the boundary layer is
significantly cooler than the air above. In all cases the
Richardson number Ri >0 with Ri defined as

Ri ¼ b
qY=qz

ðqU=qzÞ2

whereY is the mean potential temperature and U the
mean velocity. The coherent structures are not as
energetic as in convective and neutral flows (see the
following subsection on the shear-driven or neutral
boundary layer) because buoyancy forces suppress the
vertical displacements of fluid elements. By decorre-
lating vertical and horizontal motions when Ri is
greater than its critical value of about 1

4, the buoyancy
forces effectively suppress the input of energy from the
mean flow to turbulence. But in such situations wave
motions in the upper part of the boundary layer can
induce turbulence with significant energy. Turbulence
can survive only if sufficient turbulent energy is
produced locally by the breakdown of such waves or
by the mean shear. The influence of the stable
stratification forces reduces the vertical dimensions
of the eddy structures in relation to their horizontal
dimensions to such an extent that, as clouds and
chimney plumes reveal, the eddies take the shape of
pancakes or ‘blinis’. This is why the turbulent struc-
tures in the middle of the stable boundary layer, i.e.
z=h > 0:1, are not closely coupled to motions at the
surface. As with the convective boundary layer, small
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sheared eddy structures, e.g. longitudinal vorticeswith
diameters of a few centimeters, are observed near the
surface.

Experiments show that the turbulent pancake
structures persist evenwhen the stable density gradient
is so great that Ri exceeds unity. In this situation the
turbulence decays, but periodically it tends to be
reenergized by overturning internal waves of local
shear-driven instabilities as layers move over each
other. In the quiescent periods between these events the
turbulence tends to collapse into layered chaotic
motions in horizontal planes that have some resem-
blance to two-dimensional turbulence, as observed in
the ocean and the laboratory, and as produced by
numerical simulations.

The Shear-Driven or Neutral Boundary Layer

As the heat flux to and from the surface decreases and
the wind speed increases, i.e. h=jLMOj � 1, progres-
sively a greater proportion of the eddy motion in
the boundary layer becomes determined by
wind shear, and buoyancy forces become negligible.
Then the boundary layer is neutrally stable and is
similar to those found in engineering flows where
the governing similarity parameter in the Reynolds
number Re ¼ u‘=n, where u and ‘ are the character-
istic velocity and length scale of the flow. However,
there are also differences because the Reynolds
number in an atmospheric boundary layer
(Re � 106) is in general much larger than the
Reynolds number in an engineering flow (Re � 105).
In the atmosphere, as observation of ‘cat’s-paws’
moving over the sea surface show very clearly, the
large-scale eddies interact with the surface by
impinging downward and by ‘scraping’ along the
surface. This top-down production of turbulence
differs from the bottom-up instability or ‘bursting’
processes which occur for low- and moderate-
Reynolds-number turbulence. The consequence is
that the eddy motion at different heights of the
boundary layer are well correlated and the variance
of horizontal velocity fluctuations decreases only
slowly with height in the atmospheric surface layer,
in contrast with the quite rapid variation as a function
of height in engineering boundary layers. Another
effect is that the length scale of the horizontal velocity
fluctuation is much larger in the high-Reynolds-
number atmospheric case.

Above the surface layer, i.e. z=h > 0:1, if the
troposphere above the boundary layer is very weakly
stratified then the wind velocity profile and eddy
structure is influenced byCoriolis acceleration f due to
the earth’s rotation, and this results in a change of
direction of the velocity with distance from the

surface. This means that the structure is (weakly)
dependent on the ratio un=ðfz0Þ and the boundary
layer depth is proportional to un=f . Owing to this
change in wind direction the velocity profile in the
‘Ekman’ layer (named after its discoverer) becomes
three-dimensional and contains an inflection point
where the velocity gradient is maximum. Because of
both the instability of this profile and the anisotropy of
Reynolds stresses, eddy structures develop in the form
of rolls, approximately directed along the wind
direction. These longitudinal rolls enhance the vertical
transport of momentum to such an extent that, except
in ideal neutral conditions, the change in mean wind
direction with height is usually less than predicted
by Ekman’s theory and quite often in the opposite
direction.

Eddy Structure in Boundary Layers
Over Very Rough and Inhomogeneous
Terrain

Over snowfields, deserts and prairies, the land surface
is effectively made up from small, regular ‘roughness
elements’ such as snow and sand particles or grass and
bushes. But over more irregular terrain and inhabited
areas there are larger obstacles such as mountains,
buildings and trees that affect the mean flow and the
eddy structure significantly. Both types of surface
roughness slow down the flow and affect the mass and
heat transfer to the surface. Note that even if these
obstacles are smoothly shaped, such as hills and
valleys with low slopes (say less than 1

3) or water waves
in case of air flow over the sea, they have a substantial
effect on the mean structure of the atmospheric
boundary layer, especially in stably stratified condi-
tions. But when the obstacle slopes are large (such as
mountains with slopes more than 1

3) or when they are
shaped with sharp angles (such as buildings) they are
described as bluff and they generate a quite distinct
eddy structure.

For the former case, of smoothly shaped obstacles in
neutral stratification, it is found that in the ‘inner-
layer’ (which over a hill or wave is typically less than
about 1

20 of the length of the hill) the turbulence and
eddy structures are similar to those over a flat surface.
However in the outer region the eddy structures are
significantly distorted, leading for example to a
amplification of vertical turbulence at the top of the
hill and a slight reduction of the horizontal fluctua-
tions.When several hills lie perpendicular to the wind,
the distortion of the mean shear by the undula-
ting motion leads to large-scale rolls of streamwise
vortices.

BOUNDARY LAYERS / Coherent Structures 231



There are special characteristics of eddies generated
by the flowover bluff obstacles, depending onwhether
their height d is much smaller than the boundary layer
depth h, such as in the case of buildings, or when d is
comparable with h, as in the case of mountains.
Roller eddies (or Kelvin–Helmholtz billows) are
produced in the intense shear layer separating
the fast-moving stream of air over the top of the
obstacles from the slow-moving wakes on the down-
wind side. These roller eddies tend to transform
downwind into longitudinal eddy structures over a
distance of a few obstacle heights. There tends to be a
distinct boundary between the eddies produced by
the obstacle shear layers and those of the oncoming
boundary layer which is visible when smoke is
released into the wake regions. Notable features of
isolated bluff bodies are the horseshoe vortices which
are wrapped around the obstacle and then extend
downwind. These are visible by an indented region on
a sandy or snow-covered surface. They interact
unsteadily with the vortical eddy structures shed
from the obstacle.

By contrast convective turbulence over hills and
other rough terrain is broadly similar to that over level
terrain, although the eddy structures have some weak
correlation with the surface elevation, surface albedo,
and temperature.When the slopes become quite large,
the plumes tend to develop preferentially on the slopes
and may converge into a single large plume at the top
of the mountain. These phenomena are well known to
glider pilots,whomake use of ascending air currents to
stay aloft.

In the stably stratified flow over sloping terrain and
smoothly shaped obstacles, such as valley flow at
night, the mean flow pattern is determined by a
complex interaction between the geostrophic flow and
the buoyancy-driven flow down the slope. Since the
flow direction tends to vary with height, the eddy
structures are of small scale and highly sheared. They
are also quite intermittent, because the rate of cooling
and the slope-driven flow varies from place to place.
Such slope flows tend to have a billowing eddy
structure characteristic of gravity currents with a
strong local vertical mixing at the head of the current
and weaker mixing downwind.

Coherent Structures at the Small
Scales

Many measurements of spectra and correlations
confirm hypotheses of G. I. Taylor and A. N.
Kolmogorov that at the smallest scales of motion the
basic statistical structure of turbulence is isotropic.
However, even qualitative observations, for example
of particle motion and smoke patterns, show that

when examined closely, even at the smallest scales,
turbulence contains structures with a distinct geomet-
rical form that is elongated and far from isotropic.
These two findings are nevertheless consistent, be-
cause these anisotropic structures have no particular
orientation, so that their statistical distribution is
isotropic. These regions consist of long, elongated
threads of high vorticity (parallel to the threads). They
are sometimes called ‘worms’. These relatively long-
lived structures are the residualmotions resulting from
the rolling up of short-lived vortex sheets. The
dynamics of small-scale isotropic turbulence is deter-
mined by the vorticity production and dissipation in
these vortex sheets, which are formed by strong
straining or deforming motions. The duration of this
process is typically short, say of the order of the
Kolmogorov time scale (seconds in the atmosphere),
and is therefore intermittent.

Despite their small size these structures play a
crucial role in environmental processes. The straining
affects mixing and chemical reactions, while the
vortices affect processes that involve small
particles, such as aerosols or cloud droplets. The
swirling motion in these vortices or worms cause
particles heavier than air to be spun out of them.
In other words the worms act like centrifuges, and
this results in flow regions with few particles and
regions with many particles, also called preferential
concentrations.

The effect of preferential concentration may have
two consequences in the process of warm-cloud rain
formation. The first is related to the fact that in regions
where there is a small concentration of water droplets
almost no condensation of water vapor on droplets
can take place. As a result thewater vapor densitymay
grow and become supersaturated again, which implies
that new cloud droplets can be formed, resulting in a
broad distribution of cloud droplets.

The second effect is related to the process of
collision and coalescence of cloud droplets. For
cloud droplets in the range of 20–50mm, the
strong vortices may influence the trajectory of the
droplets such that they preferentially fall along the
side of the vortex with the downward-moving
velocity. As a result the settling speed is increased
and may reach a factor 80% more than the
settling speed of a cloud droplet in quiescent air.
Together with the increase in concentration this may
result in a larger collision probability and thus
in droplet growth due to coalescence. When the
droplet becomes larger that about 50 mm the vortices
can no longer deflect the droplet from its vertical fall
trajectory. In that case the vorticeswill decrease the fall
velocity somewhat with respect to the fall velocity in
quiescent air.
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Significance of Coherent Structures
for Practical Problems

Coherent structures in the atmosphere need to be
understood and described in order to deal more
effectively with engineering and environmental prob-
lems. Examples are wind energy, wind loading on
structures, aircraft operation, blowing of dust and
snow, propagation of electromagnetic waves, wind
shelter design, and dispersion of air pollution. Study of
coherent structures is also helpful in interpreting
statistical data (such as spectra, correlations, and
probability distributions) and can also be used for
interpolation when data are not available or for
extrapolation to more complex situations. A few
examples are now given.

In the convective boundary layer, the structure of the
thin updrafts and the broad downdrafts causes the
position of the maximum surface concentration of an
elevated source of pollution to be much closer to the
source than in the neutral boundary layer. This effect
was not included in early atmospheric dispersion
models, inwhich the turbulencewas assumed tohave a
Gaussian distribution and which therefore made
substantially incorrect predictions. The interaction
between the large, buoyancy-dominated eddy struc-
ture in the upper part of the layer and the shear
structure near the surface also has to be understood
when estimating the variation of the dispersion from
low-level sources.

The eddy structure in the stable boundary layer is
also of importance in the dispersion of air pollutants,
especially at night and in cold winter conditions. The
way the turbulence is unsteady and very sensitive to a
slope (even as low as 10�2) helps explain anomalous
effects and the limitations of simple predictivemodels.
For agriculture in valleys where frost pockets form,
these intermittent mixing events need to be predicted
and if possible avoided by artificialmixing (e.g. by fans
or burners).

When there are very strong winds, the boundary
layer is neutrally stratified. The calculation of wind
energy and wind loads on structures needs informa-
tion about the turbulent spectra. Spectra show that
eddies near the ground are larger in the flow direction
than those higher in the boundary layer. This surpris-
ing result, widely used in engineering calculations, can
be understood in terms of elongated eddies very close
to the ground. But near buildings, these eddies are

broken up and the spectra change. The rapid change
with height of the eddy motion over hills has an effect
on the performance of wind turbines, and this should
be taken into account in an assessment of the viability
of wind energy projects.

See also

Boundary Layers: Complex Terrain; Modeling and Pa-
rameterization; Overview. Clear Air Turbulence.
Clouds: Classification. Convection: Laboratory Models
of.Kelvin–Helmholtz Instability.Turbulent Diffusion.
Wave Mean-Flow Interaction.
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Complex Terrain

J J Finnigan, CSIRO Atmospheric Research,
Black Mountain, ACT, Australia

Introduction

The boundary layer is the layer of the atmosphere that
is influenced directly by the roughness and energy
balance of the surface. Much of the character of the
boundary layer, therefore, is impressed upon it by the
particular nature of the underlying surface. Hence we
consider the kinds of boundary layers that develop
over surfaces that are inhomogeneous either because
the surface cover is changing or because the surface is
not flat. Although, more often than not, natural
surfaces exhibit both topography and changing sur-
face cover, it is more instructive to deal with these two
elements of complexity separately.

Changing Surface Cover

Here we are concerned with horizontal inhomo-
geneity, ranging from simple changes between one
surface type and another to continual changes such
as might be seen in farms with fields planted with
different crops. Atmospheric flow over such terrain
is characterized by the appearance of internal
boundary layers over each new surface. If the new
surface continues sufficiently far downstreamwithout
further change, the new internal boundary layer
replaces the old boundary layer and eventually a new
geostrophic balance is struck between the surface and
the synoptic flow above the boundary layer. If the
surface character changes continually, however, the
impact of each internal layer only extends up to some
blending height, above which the total boundary layer
behaves as if it were flowing over a surface with
properties that are some average of the different
patches.

Topography

Hills and valleys affect boundary layer flow because
the pressure field that develops as the atmosphere
flows over them accelerates and decelerates the near-
surface flow. In a relatively thin layer near the surface,
analogous to an internal boundary layer, changes in
turbulent stresses strongly affect the mean flow, but at
higher levels the changes in mean wind speed are
essentially inviscid. The pressure field that develops
about any given hill is strongly dependent upon the
stratification of the atmosphere flowing over it, which
can be characterized by a Froude number. Hence, the
scale of the topography profoundly affects the result-

ant boundary layer flow patterns. Those over a very
large hill, whose pressure field is largely determined by
the displacement of the stratified synoptic flow above
the boundary layer, are quite different from those over
a smaller hill, where flow displacement is confined
within the neutral or unstable boundary layer.Herewe
will confine our attention to smaller hills.

We will be concerned with the boundary layers that
develop over terrain with these two kinds of complex-
ity, due to surface cover and to topography, and will
concentrate especially on two aspects of their descrip-
tion: the windfields that we observe within them and
the surface stresses beneath them. Our introduction of
spatially averaged equations below suggests one mo-
tivation for this.Mathematical model used for climate
or weather prediction have horizontal resolutions
50� 50 km2 so that the windspeed averaged over grid
cells 500� 500 km2 in area has to be related to some
average of the surface properties within the cell. At the
same time we want to know how to relate measure-
ments of windspeed and other variables at points in an
evolvingboundary layer to the surrounding landscape.

Notation

We use a right-handed rectangular Cartesian coordi-
nate system, xiðx; y; zÞ with x1ðxÞ aligned with the
mean velocity at the surface and x3ðzÞ normal to the
ground surface. Velocity components are denoted
by uiðu; v;wÞ with u1ðuÞ the streamwise component
and u3ðwÞ the vertical component. Time averages
are denoted by an overbar (e.g., �uu) and departures
from the timemean by a prime (e.g., u0). Area averages
over the x–y plane are represented by angle brackets
(e.g. h�uui).

Changing Surface Cover

We will look first at simple changes of surface
roughness such as those between bare soil and an
irrigated crop. Once we have established the nature of
simple transitions from one type of surface to another
we will be in a position to describe the boundary layer
over patchy surfaces.

Local Advection: The Wind Field

Local advection refers to situationswhere the effects of
surface changes do not propagate above dASL, the
depth of the atmospheric surface layer. Imagine an
equilibrium surface layer flow, characterized by a
logarithmic profile with roughness length z01 and
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displacement height d1, eqn [1].

u1ðzÞ ¼ un1

k
ln

z� d1
z01

� �
½1�

un1 ¼ ffiffiffiffiffiffiffi
t01

p
is the friction velocity, defined as the

square root of the kinematic surface stress t0, and k is
von Karman’s constant. This flow encounters a new
surface with roughness length z02 and displacement
height d2. We will assume that the boundary is
perpendicular to the surface wind vector. As the air
flows over the new surface it either slows down
because of increased surface friction (smooth–rough
change, z02 > z01) or speeds up because the surface
friction falls (rough–smooth: z02oz01). The effect of
this acceleration or deceleration, which is initially
confined to the air layers in contact with the new
surface, is diffused vertically by turbulence, and the
effect of the change is felt through a steadily growing
internal boundary layer of depth diðxÞ (see Figure 1A).

The effects of the change are also transmitted by
pressure forces that are associated with any change in
streamline height that follows if d1 is not equal to d2
and this pressure perturbation is not confined to the
internal boundary layer. Its effect is negligible, how-
ever, except very close to the transition, even when the
change in displacement height is significant and for
the rest of this section we will ignore it. From now on
we will also avoid writing z� d, assuming that the

origin of the z coordinate is adjusted appropriately to
include d.

The strength of the roughness change can be
characterized by the ratio of the roughness lengths,
Mn, or its logarithm, M (eqn [2]).

Mn ¼ z01
z02

M ¼ ln
z01
z02

� �
¼ lnðz01Þ � lnðz02Þ ½2�

Within the internal boundary layer the flow displays
characteristics of the downstream surface. Outside it,
apart from the small perturbation caused by the
pressure pulse at the transition, the flow field is
identical to that upwind (see Figure 1B). The internal
boundary layer depth diðxÞ is usually defined, there-
fore, as the height at which the downwind velocity
�uu2ðzÞ attains a fixed fraction (e.g., 99%) of its upwind
value at the same height.

The growth of the internal boundary layer is caused
by turbulent diffusion and, ifwe take the characteristic
diffusion velocity as un2 ¼ ffiffiffiffiffiffiffi

t02
p

, the downstream
friction velocity, then we can write eqn [3].

ddi
dx

¼ Bun2

u2ðzÞ ½3�

To integrate eqn [3] we need an expression for �uu2ðzÞ;
for diodASL, the simplest assumption is that shown in
eqn [4].

u2ðzÞ ¼ un2

k
ln

z

z02

� �
½4�

Then stipulating that diðxÞ ¼ 0 at x ¼ 0, and locating
the origin of coordinates at the roughness change,
from eqns [3] and [4] we obtain eqn [5].

diðxÞ
x

ln
diðxÞ
z02

� �
� 1

� �
¼ Bk ½5�

Equation [5] provides a qualitative description of
the growth of the internal boundary layer and, with
the experimentally determined constant B ’ 1:25,
provides a good quantitative measure of diðxÞ for
smooth–rough changes and also for rough–smooth
transitions ifM is less than 2.When the rough–smooth
change is larger ðM �2Þ, eqn [5] tends to underesti-
mate the growth in diðxÞ because then diffusion
downstream of the roughness change is controlled
for some distance by the slowly decaying upstream
turbulence.

To obtain eqn [5] we assumed that the velocity
profile within the internal boundary layer was loga-
rithmic all the way up to diðxÞ. This is a gross
oversimplification, however. In Figure 1A we have
identified an inner equilibrium layer, deðxÞ at the
bottom of the internal boundary layer. Only in this

zu1(z)
�i(x)

�e(x)

�01, z01 �02(x), z020 x
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Figure 1 (A) Schematic diagram of internal boundary layer

growth. The inner equilibrium region is marked by the dashed

curve. This region is not expected to begin until somedistanceafter

the roughness change. (B) Logarithmic velocity profiles after a

roughness change. The upwind profile is denoted by a dashed line.
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layer has the flow attained local equilibrium with the
new surface with the shearing stress t2ðzÞ approxi-
mately constant with height and the velocity profile
�uu2ðzÞ obeying eqn [4]. An estimate for deðxÞ can be
obtained by first writing an approximate equation for
the streamwise momentum balance that ignores any
pressure perturbation at the toughness change and
also assumes that the changes in the flowfield are small

�uu1ðzÞ qDuqx
� qDt

qz

where Du ¼ �uu2ðzÞ � �uu1ðzÞ and Dt ¼ t2ðzÞ � t1ðzÞ. If
we now insist that for local equilibrium to obtain
below deðxÞ, the integral from z ¼ 0 to de of the
advection term on the left-hand side of this equation
must be negligible compared to the perturbation in
surface stress, t02 � t01 ¼ u2

n2 � u2
n1, we obtain

deðxÞ
x

� 2
un2

�uu2

� �2

whence

deðxÞ
x

ln2
deðxÞ
z02

� �
� 2k2 ½6�

For the kinds of roughness changes often studied in
micrometeorology, the slope di=x � 1=10 while
de=x � 1=100. Hence de corresponds to the height-
to-fetch requirements traditionally adopted as a rule of
thumb by researchers who wish to apply one-dimen-
sional formulas downwind of a change in surface
cover.

For di > z > de we have a blending region, where
the velocity profile changes smoothly between �uuðzÞ ¼
un2=½k lnðz=z02Þ� and �uuðzÞ ¼ un1=½k lnðz=z01Þ�. In this
region and downwind of the immediate vicinity of
the transition, the velocity and shear stress perturbat-
ions are self-preserving, that is, they can be written as
functions of a velocity scale u0 and a dimensionless
height ZðxÞ ¼ z=diðxÞ: eqns [7] and [8].

DuðzÞ ¼ u2ðzÞ � u1ðzÞ ¼ u0
k

gðZÞ ½7�

Dt ¼ t2ðzÞ � u2
n1 ¼ ½u2

n2 � u2
n1�hðZÞ ½8�

A good choice for the velocity scale is u0 ¼ jun2 � un1j
and the functions gðZÞ and hðZÞ can be found by
substituting eqns [7] and [8] into the equations of
motion and making a closure assumption to relate
t2ðzÞ to �uu2ðzÞ. Several theories have been developed
in this way and we will encounter one of them when
we consider continually changing surfaces.

Typical examples of the velocity profiles that
develop following smooth–rough ðM ¼ �4:8Þ and

rough–smooth ðM ¼ þ4:8Þ changes are illustrated in
Figures 2A and B. In each case we see the internal
boundary layer deepening with downstream distance
and the velocity profile slowing in the smooth–rough
case and accelerating in the rough–smooth case. In
both cases, the lower part of the internal boundary
layer is occupied by a logarithmic profile in equilib-
rium with the new surface, although the true depth
of the equilibrium region is exaggerated by the
logarithmic height scale. Measured in terms of
physical distance, the equilibrium region appears
to be established more slowly in the rough–
smooth case, but in terms of dimensionless distance
x=z0 there is little difference between the two transi-
tions in the rate at which equilibrium is reached.

Local Advection: Surface Stress

In Figures 3A and B are plotted measurements of
surface shearing stress from the experiment that
furnished the velocity profiles of Figure 2A,B. These
results are typical of those from experiments at a range
of scales. Two features are noteworthy: the overshoot
in stress at the transition and the rapid attainment of a
new equilibrium. The overshoot phenomenon is easily
explained. In the case of a smooth–rough transition,
the air stream, traveling relatively rapidly over the
smooth surface, generates a high stress on first
encountering the increased roughness. As the region
of decelerated flow thickens into an internal boundary
layer, the velocity of the air in contact with the surface
slows and the surface stress falls. In a rough–smooth
transition, we see a stress undershoot with a relatively
slow airstream generating lower stress when the
surface roughness falls but the stress then rising as
the flow accelerates.

Although sophisticated models of the magnitude of
the stress change have been developed, a simple
expression can be derived by assuming that the
velocity profile obeys eqn [4] with un ¼ un2 and z0 ¼
z02 for the full depth of the inner region and then obeys
eqn [1] with un ¼ un1 and z0 ¼ z01 above a sharp
discontinuity at z ¼ di. Matching the two layers leads
directly to eqn [9].

t02
t01

¼ 1� M

lnðdi=z02Þ
� �2

½9�

The result of eqn [9] is plotted on top of the data points
in Figures 3A andB and it is clear that it performs quite
well in the smooth–rough case but underestimates the
stress change for the rough–smooth transition. Equa-
tion [9] relies on an accurate expression for di and we
have already noted that eqn [5], which is used to
generate the curves in Figure 3A,B, underestimates the
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growth rate of diðxÞ in the rough–smooth case because
it discounts the influence of the energetic upstream
turbulence on the diffusion of the new internal
boundary layer.

Advection on Larger Scales

The formulaswehave derived above and the reasoning
behind them strictly apply to internal boundary layers
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Figure 2 The development of logarithmic velocity profiles after a roughness change (data taken from Bradley (1968) see Kaimal and

Finnigan (1994) for details). (A) Smooth–rough change: z01 ¼ 0:02mm, z02 ¼ 2:5mm, M ¼ �4:8. (B) Rough–smooth change:

z01 ¼ 2:5mm, z02 ¼ 0:02mm, M ¼ þ4:8.
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Figure3 Surface shear stress development after roughness changes (data taken fromBradley (1968), seeKaimal andFinnigan (1994)
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that are no deeper than dASL, the depth of the
atmospheric surface layer, because we have assumed
that the mean velocity �uu1ðzÞ may be described by the
logarithmic law. Above dASL, both the characteristic
velocity and length scales of the turbulence change.
The length scale becomesOðziÞ, the depth of thewhole
boundary layer, while the velocity scale depends upon
whether the boundary layer is neutrally or unstably
stratified. In a neutral boundary layer, the turbulent
velocity scale is un and, at higher levels, �uuðzÞ changes
more slowly with height than in the logarithmic
surface layer.More usually, the surface layer is capped
by a convective mixed layer, where the turbulent
velocity scale is wn ¼ ½g=T0ðw0y0Þ0zi�1=3 with ðw0y0Þ0
the surface heat flux. In the mixed layer the mean
velocity �uuðzÞ ¼ UM is approximately constant with
height.

Inserting constant values for the turbulent velocity
scale (un or wn) and advection velocity ð�uuðzÞ or UMÞ
into eqn [3], we see that we can expect diðxÞ to grow
linearly above the surface layer with a slope between
Bun=�uuðzÞ and Bwn=UM as the boundary layer varies
between neutral stratification and convective mixing.
There are relatively few measurements in this regime,
but those that exist suggest that the surface layer value
B � 1:25 remains applicable.

The early attainment of a near equilibrium value of
surface stress that is shown in Figure 3A,B masks the
continual slow adjustment of this quantity as the
internal boundary layer grows out of the surface layer.
The new internal boundary layer replaces the old
boundary layer when diðxÞ equals the old boundary
layer depth. This occurs at downstream distances of
order x=z02 ¼ 106 in neutral conditions, but possibly
much less in a convective boundary layer with a weak
mean wind. Current understanding of the magnitude
of the geostrophic drag coefficient un=G, where G is
the geostrophic wind speed, suggests that in the

smooth–rough case illustrated in Figure 4, the early
equilibrium value of t02=t01 ’ 3:5 will fall to
t02=t01 ’ 2:0 as the new boundary layer attains
geostrophic balance. For the neutral case, this occurs
between the point at which the new boundary layer
replaces the old at x=z0 � 106 and x=z0 � 108.
Attaining a new balance between the surface drag
and the geostrophic wind will also change the
geostrophic departure, the angle between the surface
and geostrophic wind direction. This angle will
increase in a smooth–rough change and decrease in a
rough–smooth change.

Patchwork Surfaces

Natural surfaces rarely consist of simple changes
between two types; rather the surface cover changes
continuously. To describe flow over these surfaces
we generalize the concept of the internal boundary
layer to define the blending height, hB. Figure 4
illustrates a hypothetical surface consisting of a
set of N patches of different surface cover, each
occupying a plan area ai with streamwise extent Li

and having roughness lengths and displacement
heights z0i and di, respectively. Over each surface an
internal boundary layer grows and reaches a depth
diðLiÞ by the end of the patch. From the definition
of the internal boundary layer we know that above
diMAX, the height of the deepest internal boundary
layer, the velocity profile �uuðzÞ no longer varies
horizontally but attains a spatially averaged value, so
we can identify the blending height with diMAX (eqn
[10]).

hB ¼ diMAX ½10�

If diMAX is smaller than the depth of the surface layer
dASL, then for dASL > z > hB the velocity profile will be
logarithmic with the form given in eqn [11], where h i
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Figure 4 Schematic drawing of the flow structure over a series of surface patches with different roughness lengths z0i and streamwise

extents Li .
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here denotes an average over the x–y plane.

huðzÞi ¼ uðzÞ ¼ ht0i1=2
k

ln
z

zeff0

 !
½11�

A central problem over natural surfaces is to find
an expression for the effective roughness length
zeff0 in terms of patch level roughness lengths
z0i and other accessible parameters such as the
windspeed above diMAX so that the area-averaged
surface momentum flux ht0i can be inferred from
windspeed measurements or parameterized in
models that are unable to resolve the individual
patches.

One approach to finding zeff0 is to assume once again
that the flow within each internal boundary layer,
rather than being self-preserving (eqns [7] and [8]), can
be represented by logarithmic profiles with local
roughness lengths and then to average the profiles
across the x–y plane (eqn [12]).

huðzÞi ¼ t1=20i

k
ln

z

z0i

� �* +
¼ ht0ii1=2

k
ln

z

zeff0

 !
½12�

Whence we obtain

zeff0 ¼ huni lnðz0iÞi
ht0ii1=2

and uni ¼ ffiffiffiffiffiffi
t0i

p ½13�

Equation [13] is not a very useful formula because we
do not, in general, know the stress t0i on each patch.
The simplest recourse is to ignore the correlation
between stress and roughness length and to write
eqn [14].

zeff0 ’ zM0 ¼ hlnðz0iÞi ½14�
Because, as we have seen, z0i and t0i are positively
correlated, zM0 will always be an underestimate of zeff0 ,
but it forms a useful reference value andprovides a first
estimate of zeff0 when the variation in roughness length
between patches is small.

Amore accurate formula for zeff0 has been derived by
exploiting the fact that the flow in the internal
boundary layers making up the blending region
between dei and hB is self-preserving and assuming
that in this region a simplemixing-length expression is
adequate to express the relationship between shear
stress tðzÞ and velocity shear q�uu=qz. These two
assumptions allow the shear stress and velocity at the
blending height to be related to the local values within
the thin equilibrium layer over each patch so that the
value of t0i required to weight the local roughness
length z0i in eqn [13] can be inferred. The result is a
formula for the effective roughness length that is most
simply expressed as in eqn [15], where hei ¼ deiðLiÞ

and hi ¼ diðLiÞ.

h ln
hB

zeff0

 !
þ hei
hi � hei

ln
hi
hei

� �
� 1

" #2

ln
hi
z0i

� �
þ hei
hi � hei

ln
hi
hei

� �
� 1

� �2 i ¼ 1 ½15�

Values forhB; hi and hei are readily obtained using eqns
[10], [5] and [6].

Equation [15] provides amuch better estimate of zeff0

than zM0 but it also starts to underestimate the
momentum-absorbing capacity of a heterogeneous
surface when the streamwise length scale of the
patches, Li becomes small. This is because in deriving
eqn [15] it is assumed that the equilibrium value of
stress, t0i, applies over an entire patch ai and the
overshoots and undershoots in stress at the roughness
transitions that we saw in Figure 4 have been ignored.
These strong perturbations in stress just following the
change are asymmetrical, the stress increases follow-
ing a smooth–rough change being generally greater
than the decrease after a rough–smooth transition. By
ignoring this asymmetry we can underestimate the
average stress when the Li become very small.

Larger-scale Surface Variability

When the scale of individual surface patches Li

becomes much larger than a kilometer, the blending
height will be greater than the depth of the surface
layer. At much larger scales ðLi 	10 kmÞ, the new
internal boundary layer will replace the entire plane-
tary boundary layer and the regional surface stress can
be calculated by averaging the contributions of essen-
tially independent patches. At the intermediate scale,
where 10 km >Li >1 km, the blending height will be
above the surface layer and formulas based on
assumptions of logarithmic velocity profiles are inap-
propriate. Currently there are no simple descriptions
of this scale of heterogeneity. Numerical models that
can accommodate the diabatic influences that are
usually important above the surface layer have been
used in particular cases and the average surface stress
can be considered to be bounded by the values
appropriate to small- and large-scale heterogeneity.

Topography

Air Flow over Isolated Hills

As we did in considering changing surfaces, we will
first describe the flow over an isolated hill and then
go on to consider how the boundary layer adjusts
to continuously hilly terrain. We will confine our
attention to hills sufficiently small that the flow
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perturbations they cause are confined within the
boundary layer. In practice this means that the hill
height H and the hill horizontal lengthscale L satisfy
H � zi and L � hn, where hn, the ‘relaxation length’
of the boundary layer, is defined as hn ¼ ziU0=un or
ziU0=wn according to whether the flow is neutrally
stratified or convectively unstable. The velocity scale
U0 is defined below. The horizontal length scale L is
defined as the distance from the hill crest to the half-
height point. In continuously hilly terrain it can be
more appropriate to use a characteristic wavelength l
as the horizontal length scale. For sinusoidal terrain,
L ¼ l=4.

InFigure 5wehave sketched themain features of the
velocity field about an isolated hill. The figure could
represent flow approaching an axisymmetric hill or a
2D ridge at right angles. Close to the surface, the flow
decelerates slightly at the foot of the ridge before
accelerating to the summit. In the axisymmetric case
the deceleration is replaced by a region of lateral flow
divergence at the foot of the hill. The wind reaches its
maximum speed above the hill top and then deceler-
ates on the lee side. If the hill is steep enough
downwind, a separation bubble forms in which the
mean flow reverses direction. Whether the flow
separates or not, a wake region forms behind the hill
with a marked velocity deficit extending for at least
10H downwind.

The same information is made more concrete in
Figure 6, where velocity profiles well upwind, over the
hill top and in the wake are plotted. The vertical
coordinate z measures height above the local surface.
In Figure 6 it is made dimensionless with the inner
layer height l, defined below. Upwind we have a
standard logarithmic profile, but on the hill top the
profile is accelerated with the maximum relative
speed-up occurring quite close to the surface at

z=l � 0:3. In the wake we see a substantial velocity
deficit extending to at least z ¼ H.

Much of the understanding we now have about the
dynamics of flow over hills derives from linear theory,
which assumes that the mean flow perturbations
caused by the hill are small in comparison to the

Upwind deceleration
close to the ground

on 2D ridges

Maximum speed-up
over the crest

Highly
turbulent

wake

Separation bubble where
flow reverses direction

Figure 5 Schematic drawing of the flow over a 2D ridge showing the formation of a downstream separation region when the ridge is

steep enough. On an axisymmetric hill, the upwind deceleration region is replaced by a region of lateral flow divergence.

Crest

Upwind

Downwind

0 1

u /Uo

10

1

0.1

z
/l

Figure 6 Profiles ofmean velocity observed upwind, on the crest,

and in the wake region of a hill. The vertical scale is made

dimensionless with the inner layer depth, l . Note the position of the

maximum speed-up on the crest at z � l=3.
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upwind flow. Although, strictly, linear theory is
limited to hills of low slope, H=L � 1, its insights
are applicable to much steeper hills. Linear theory
supposes a division of the flow field into two main
regions, an inner region of depth l and an outer region
above, which are distinguished by essentially different
dynamics (Figure 7). The balance between advection,
streamwise pressure gradient, and the vertical
divergence of the shear stress can be expressed
in an approximate linearized momentum equation
(eqn [16]).

UðzÞ qDu
qx

þ qDp
qx

� qDt
qz

½16�

Du;Dp;Dt are the perturbations in streamwise veloc-
ity, kinematic pressure, and shear stress that are
induced by the hill, and UðzÞ denotes the undisturbed
flow upwind of the hill. Well above the surface,
perturbations in stress gradients are small and advec-
tion and pressure gradient are essentially in balance.
Close to the surface an imbalance develops between
these terms as the perturbation stress gradient grows.
The inner layer height is defined as the level at which
the left-hand side of eqn [16] equals the right-hand
side.

A second interpretation of l is as the height at which
the time taken for a turbulent eddy to be advected over
the hill is equal to the eddy turnover time, that is, the
typical lifetime before the eddy, generated by interac-
tion with the mean flow, is dissipated. This interpre-
tation tells us that for z=l�1 the turbulence will be
approximately in local equilibrium, that is, that
production and dissipation of turbulent kinetic energy
balance locally so that the relationship between the
shear stress and the mean flow can be described by a
mixing length or eddy-diffusivity. For z=l	1, in
contrast, the turbulence will experience rapid distor-
tion, where changes to the turbulent stresses will
depend on the cumulative straining of eddies by the

mean flow as they are advected over the hill. In
particular, for z=l 	 1, the response of themean flow is
essentially inviscid because changes in turbulence
moments have negligible effect on the mean flow.
Hence, although the vertical structure of the undis-
turbed velocity profile UðzÞ is entirely the result of
turbulent stresses, perturbations to this profile are
governed by inviscid dynamics except within the thin
inner layer l (as long as L� hn).

If the undisturbed upwind profile is taken as
logarithmic, UðzÞ ¼ un=½k lnðz=z0Þ�, and we adopt a
mixing length parametrization to relate the shear
stress tðx; y; zÞ to the velocity field over the hill, the first
definition for the inner layer depth given above leads
to an implicit expression for l (eqn [17]).

l

L
ln

l

z0

� �
¼ 2k2 ½17�

Equation [17] is very similar to the expression we
found for the internal boundary layer height, eqn [5].
This is no accident, as yet a third interpretation of l is as
the height towhichnewvorticity,which is generated at
the surface at a rate equal to the streamwise gradient of
perturbation pressure, diffuses over the hill.

The pressure field that develops over the hill deflects
the entire boundary flow over the obstacle. Its mag-
nitude is determined, therefore, by the inertia of the
faster-flowing air in the outer region and is also related
to the steepness of the hill so we expect eqn [18] to
hold.

Dp � H

L
U2

0 ½18�

Scaling arguments reveal that the appropriate defini-
tion of U0 is given by eqn [19].

U0 ¼ UðhmÞ hm
L

ln1=2
hm
z0

� �
� 1 ½19�
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Outer layer

Middle layer

Inner layer

l
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h /2

h /2
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Figure 7 The different regions of the flow over an isolated hill, comprising: inner, middle, outer and wake layers and their associated

length scales.
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The middle layer height hm divides the outer region
into a middle region between l and hm where shear in
the approach flow exerts an important influence on the
flow dynamics, and an upper region, where the
perturbations are described by potential flow. For a
hill withL ¼ 200m; un ¼ 0:3m s�1, and z0 ¼ 0:02m,
typical sizes of these scales are l ¼ 10m, hm ¼ 70 m,
U0 ¼ 6m s�1 and UðlÞ ¼ 4:5 m s�1. Note that in the
linear theory, the vertical extent of the regions influ-
enced by the hill depends only on the hill length scale,
L. The hill height enters only through the influence of
steepnessH=Lon the pressure perturbation that drives
all other changes in the flow field.

The pressure perturbation falls to a minimum at the
hill top and then rises again behind the hill and
propagates essentially unattenuated to the surface. Its
scaling gives a strong clue as to why the relative speed-
up peaks in the inner layer. Referring again to eqn [16],
except very close to the surface themomentumbalance
is dominated by the pressure gradient and the advec-
tion so that UðzÞDuðx; zÞ=L � ðH=LÞU2

0=L. Within
the inner layer, as the background flow UðzÞ becomes
much smaller than U0, the velocity perturbation Du
must grow to compensate. Eventually, at the bottomof
the inner layer the stress gradient dominates the
momentum balance and reduces Du so that the peak
in speed-up is found at about z � l=3. The effects of
this shifting balance can be clearly seen in the
expression for the relative speed-up derived from
linear theory, eqn [20].

D�uuðx; zÞ
UðzÞ ¼ H

L

U2ðhmÞ
UðlÞUðzÞ
� �

zðx; z0Þ ½20�

zðx; z0Þ is a function that factors the precise shape of
the hill and the influence of surface roughness into the
equation while both the dependence of the driving
perturbation pressure gradient on hill slope H=L and
the amplification of the speed-up by the ratio of
background velocities across the middle layer,
UðhmÞ=UðlÞ is evident.
Drag Force on Isolated Hills

We are particularly interested here in the drag force
exerted by the hill upon the atmosphere. This is almost
entirely a result of the asymmetry in the pressure field
about the hill, which results in a net form drag or
pressure drag. The hill also produces a negative
perturbation in the surface shear stress, equal to the
balance between the increase in stress as the wind
accelerates to the hill crest and the extended region of
reduced stress on the downslope and sheltered wake
region. Even on low hills, however, this net reduction
in t0 is an order ofmagnitude smaller than the increase
in form drag. Over steep hills, flow separation ensures

that the pressure on the lee side of the hill does not
recover to its upstream value, leading to a net form
drag, but over lower hills without separation the
mechanism is more subtle.

The effect of the shear stress in the inner layer on the
streamwise velocity perturbation Du is to displace its
peak value slightly upwind of the hill crest and to
thicken the inner layer on the downslope side so that
streamlines are not symmetrically disposed about the
hill but are farther from the surface on the downslope
side. The asymmetric perturbation in vertical velocity
Dw that accompanies Du is amplified by the shear in
the middle layer and acts to force an asymmetric
component in the pressure perturbation Dp, which is
determined primarily by the flow at z ¼ hm and above.
When integrated over the hill, this asymmetry in Dp
results in form drag. Put more simply, the flow well
above the hill acts like an inviscid flow over a surface
defined by the streamlines at the top of the inner layer
and it is this ‘inviscid’ flow that determines the
pressure field acting on the surface. From this view-
point it is easy to see that separation will set an upper
limit on flow speed-up and pressure drag because, as
the hill gets steeper, the upper level flow ‘sees’ the hill
plus separation bubble as the lower boundary condi-
tion, effectively increasing L in eqn [20] and limiting
H=L.

Linear theory gives an exact expression for the drag
on a 2D sinusoidal ridge of wavelength l as eqn [21],
where FP is the streamwise pressure drag.

jFPj ¼ 2
U0

UðlÞ
� �4 pH

l

� �2
u2
n
l

¼ p2

2

U0

UðlÞ
� �4 H

L

� �2
u2
n
L ½21�

Comparing eqns [21] and [20] we can see that the
pressure asymmetry is proportional to the square of
the velocity perturbation and so is proportional to the
square of the hill slopeH=L and to the fourth power of
the shear amplification factor U0=UðlÞ.

This formula has been successfully extended to 3D
hills by generalizing the hill slope H=L to

ffiffiffiffiffiffiffiffiffiffiffi
A=Sh

p
,

where A is the frontal area of the hill and Sh its base
area.

Furthermore, the same dependence of the pressure
drag of a hill upon the square of the hill slope and the
fourth power of the ratio of an inner to an outer level
velocity scale appears to holdwhenwe go to very steep
hills well outside the compass of linear theory. Care
must be taken, however, because experimental deter-
minations of hill drag are exceedingly rare and such
generalizations of eqn [21] have only been tested
against numerical models so far. Nevertheless, they
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provide a point of departure for a consideration
of the effect of hilly terrain on the whole boundary
layer.

Effective Roughness Length of Hilly Terrain

Derivations of the logarithmic law in the ASL proceed
by an asymptoticmatching argument that applies only
in the height range zi 	 z 	 zs, where zs is a charac-
teristic size of the surface roughness elements. When
most of the drag force on the surface is due to the form
drag on hills, we expect that zs � H and, if H is a
sensible fraction of zi, wemight not expect to observe a
logarithmic region at all, the ASL being squeezed
between a roughness sublayer, where the flow depends
on the character of the individual hills, and the outer
layer flow. Nevertheless, numerical models of flow
over ranges of hills suggest that the area-averaged
velocity, h�uuiðzÞ generally does have a logarithmic
dependence through a layer that can occupy a much
greater fraction of the planetary boundary layer depth
than the classic surface layer. The experimental
evidence is less convincing, partly because area aver-
ages are very difficult to measure, but they do not
directly contradict the model results.

It seems reasonable then, in analogy with eqn [11],
to represent the flow over hilly terrain in the approx-
imate range zi=2 > z > 2H as in eqn [22].

h�uuiðzÞ ¼ ueff
n

k
ln

z� d

zeff0

 !
½22�

Hence,

ðueff
n
Þ2 ¼ k2h�uuiðzÞ

fln½ðz� dÞ=zeff0 �g2 ¼ ð�hFPi � hFViÞ ½23�

where hFVi is the surface friction counterpart of hFPi.
Now since the perturbations in hFVi induced by a hill
are much smaller than jhFVij, we can write eqn [24].

ueff
n

’ ð�hFPi þ u2
n
Þ1=2 ½24�

The area-averaged form drag is obtained by dividing
eqn [21] or its 3D equivalent by SD, the plan area of the
domain under consideration, so hFPi ¼ FP=SD, and we
approximate the undisturbed stress u2

n
by assuming

that it can be related to the area-averaged velocity
at hm through the undisturbed roughness length z0
(eqn [25]).

u2
n
¼ k2h�uui2ðhmÞ

½lnðhm=z0Þ� ½25�

This is not a bad assumption when H � hm, while
over steeper hills the pressure drag term is dominant
and we can ignore hFVi for all practical purposes.

Equations [23]–[25] can now be combined with [21]
or its 3D equivalent to give an expression for the
effective roughness length of a hilly landscape.We can
take the displacement height d as the average level of
the terrain. Since we should not apply eqn [22] too
close to z ¼ H, the precise specification of d is not
critical.

The resulting expression for zeff0 has been com-
pared to mathematical models of the whole boundary
layer and of the surface layer and it corresponds
to within better than 15% for slopes

ffiffiffiffiffiffiffiffiffiffiffi
A=Sh

p
o0:5.

Comparison with field data is more difficult, but
the expression matches the available data reasonably
well. zeff0 is an increasing function of slope

ffiffiffiffiffiffiffiffiffiffiffi
A=Sh

p
for low to moderate slopes and zeff0 for a range of 2D
ridges is substantially larger than for a range of close-
packed 3D axisymmetric hills of the samewavelength,
a result confirmed by numerical model studies that
give values of zeff2D0 =zeff3D0 between 3 and 6. An idea of
the actual change that hills induce in the effective
roughness of a natural surface can be gained by noting
that, for 2D ridges with z0 � 0:1m and

ffiffiffiffiffiffiffiffiffiffiffi
A=Sh

p � 0:5,
we find that zeff0 =z0 � 15, while for close-packed 3D
axisymmetric hills with the same z0 and A=Sh, we find
zeff0 =z0 � 4.

Summary

We have seen both similarities and differences
between boundary layers over two kinds of complex
surface. Over continuously changing horizontal
surfaces we observe a blending region where turbu-
lence properties and scaling depart from standard
equilibrium ASL forms. The depth of this zone is
related to the size of the surface patches and to the
rate at which turbulence can diffuse information
about the surface changes vertically. For sufficiently
large patches the whole boundary layer readjusts to
the new surface. Except very close to the edges
of distinct patches, pressure effects are negligible
but, if the surface is covered with scattered bluff
objects like windbreaks or buildings, these can be
responsible for a large fraction of the total drag of the
landscape.

Over natural hilly landscapes we also find a region
of alteredmean flow extending up to z � L, whereL is
the horizontal length scale of the hills, but the depth of
this region is determined by the pressure field that
develops around the hill. Turbulent diffusion, in
contrast, affects only a shallow surface layer. Increased
momentum absorption by the hills is almost entirely
the result of pressure drag and, even for very shallow
hills, this substantially exceeds the drag of a flat
surface with the same surface texture.
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Introduction

The boundary layer is that layer of a fluid that is
directly influenced by the surface. For the convective
boundary layer (CBL), the surface influence is felt
through rising, buoyant air currents.Over land, the air
currents are buoyant because they have been warmed
by the surface. Over the ocean, the air currents are
buoyant from a combination of warming at the
surface, and evaporation of water, which lightens the
resulting gas mixture because of its lower molecular
weight. These currents rise and cool dry-adiabatically,
until they lose their vertical momentum and buoyancy
through mixing and reaching heights where the
environmental air is warmer. Between the rising
currents, air sinks and warms dry-adiabatically. The
depth of the dry convective boundary layer is thus
determined by the temperature of the updrafts and the
change of temperaturewith height in the environment.
Within the CBL, the vertical motions reach values of
71–2m s�1, strong enough to support soaring birds
or to make flying in aircraft uncomfortable.

Aircraft, radar, and lidar observations of the
convective boundary layer suggest a flow structure as
shown in Figure 1. Small buoyant elements rise from
the warm surface. Some (plumes) remain attached to

the surface, others (bubbles) detach as they grow
vertically. We will use the word ‘thermals’ to describe
both types of buoyant element. As the thermals rise,
they merge. Large eddies, which span the depth of the
convective boundary layer, collect the smaller ther-
mals into their upwelling regions. The top of the
convective boundary layer is uneven – typically higher
where large-eddy motions are upward. While plumes
or bubbles can occur anywhere, on average there are
fewer thermals in the downwelling portions of the
larger eddies, which are thus less turbulent than the
upwelling regions. The interfacial or entrainment
layer lies within the range of heights occupied by
both the CBL air and the atmosphere above at
different locations or times.

The convective boundary layer over land forms
and dies during the daylight hours (Figure 2) of
sunny days. Starting at sunrise, air rising from the
warming ground breaks down the nocturnal inver-
sion. Within 2–3 hours, the CBL grows to about
100m. Rapid growth typically continues until the
CBL reaches a depth of 1–2 km about 11:00 h to
12:00 h, local time. The CBL is in a quasi-steady
state for the next 4–5 h, with a slowly changing
depth. A few hours before sunset, the ground begins
to cool, forming a stable layer near the ground.
Plumes no longer rise from the ground, and the
turbulence decays in the dry adiabatic layer above.
This layer, decoupled from the ground, is often called
the residual layer.
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We live within the CBL, and its evolution is closely
tied to the environmental conditions we experience.
Vertical mixing decreases air pollution near the
ground from nearby sources, but it can also transport
to the ground pollution transported above the CBL
from more distant sources. On average, the wind
speeds over land are lowest during the night, when the
stable nocturnal inversion decouples the surface from
the wind overhead; and are largest during the day,
when the momentum from above is mixed downward
by the CBL. When the CBL grows deep enough for
rising thermals to reach their condensation levels,
clouds form. The evolution of cloud formation and the
depth of the boundary layer affects the maximum
surface temperature and the formation of showers.

Mean Vertical Structure

Horizontally averaged profiles of CBL potential tem-
perature (Y), moisture (Q), and the wind components

U and V are controlled by the strong vertical mixing
(Figure 3). The wind components U and V are in a
right-handed coordinate system withU parallel to the
surface-layer wind and positive downwind. In the
dry CBL, temperatures of the rising and sinking air
parcels closely follow the dry-adiabatic lapse rate,
9.8Kkm� 1. Thus it is convenient to use potential
temperature, which is conserved during dry-adiabatic
processes, to describe the thermal stratification:

y ¼ T
1000

p

� �R=cp

½1�

In eqn [1], which is derived from the first law of
thermodynamics and the hydrostatic relation, p is
pressure, T is temperature (K), R is the gas constant,
and cp is the specific heat at constant pressure for air.
Similarly, the water-vapor quantities conserved in the
absence of condensation or evaporation are used to
define the mean state of the CBL, namely specific

Entrainment layer

Figure1 Idealized cross-section of the convective boundary layer. Eddies are outlined. Broad arrows denote flow in large eddies; small

arrows denote flow in smaller eddies.

Residual
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Stable layer 

Sunrise Noon Sunset

Stable layer

Surface layer

Mixed layer
Residual layer

Entrainment layer

Figure 2 Diurnal variation of CBL over land.
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humidity (q ¼ rw=ra, where rw is the mass density of
water vapor and ra is themass density of air) ormixing
ratio (rw=rd, where rd ¼ ra � rw is the mass density
of dry air).

The convective boundary layer can be divided into
three parts (Figure 3), the mixed layer (heights zs to
h1), where Y, Q, U, and V are nearly constant, the
surface layer (heights less than zs, where Y and Q
decrease and U increases rapidly with height, and the
entrainment or interfacial layer (heights h1 to h2),
where all four variables change rapidly with height
from their mixed-layer values to those of the atmos-
phere above. In this layer, the vertical changes inY,Q,
U, and V reflect the fractional area at each height
occupied by turbulent convective boundary layer air.
The inversion height zi is drawn roughly halfway
through the entrainment layer, where vertical gradi-
ents are a maximum. Above the interfacial layer, the
stratification is that of the free atmosphere.

If the water-vapor content is substantial, as is
common over the tropical oceans, the stratification
of the CBL is often defined in terms of the virtual
potential temperature, yv, defined by:

yv ¼ yð1þ 0:61qÞ ½2�

since water vapor contributes significantly to buoy-
ancy (¼ ðg=YvÞðyv �YvÞ), which dominates CBL
growth and mixing. In eqn [2], specific humidity is in
units of g kg� 1.

Momentum is likewise well mixed through most of
the CBL. The momentum is determined by a balance
between the pressure gradient force �ð1=raÞrP, the
Coriolis force fk�V, and surface friction Fr. At
equilibrium

fk�V ¼ � 1

ra
rPþ Fr ½3�

The wind vector V is parallel to the isobars to a close
approximation above the CBL, where friction is
negligible. Within the CBL, the Coriolis force fk�V
is reduced as a result of frictional slowing of the wind,
and the air flows down the pressure gradient toward
lower pressure. In the northern hemisphere CBL, the
mixed-layer wind U flows in a direction B20–30
degrees to the left of the wind above the CBL. The
rotationof thewind from the surface-layer direction to
the free atmosphere direction is concentrated in the
entrainment layer.

Vertical Fluxes in the CBL

The Mixed Layer

To describe the behavior of the turbulent air in the
mixed layer, we separate out the fluctuations (denoted
by primes) from the means, denoted by upper case.
Thus, for specific humidity,

q0 ¼ q�Q

Free atmosphere

Entrainment layer

h2

h1

Z i

Mixed layer

Q U V

Z s
Surface layer

Θ

Figure 3 Idealized profiles of horizontally averaged potential temperatureY, specific humidityQ, and wind componentsU andV in the

convective boundary layer. Values increase to the right.V � 0 in the CBL.
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where Q is the average of q at a given height. The
vertical flux of q, w0q0 at a height z is given by the
average of the product of the fluctuating vertical
velocity w0 and q0,

w0q0ðzÞ ¼ 1

N

XN
i¼1

wi
0ðzÞqi0ðzÞ ½4�

whereN is the number of observations. Positive values
of w0q0 indicate upward transport of water vapor (or
downward transport of dry air).

In the mixed layer, the profiles of the vertical fluxes
of yv, q, and u, are linear (Figure 4). The vertical q-flux
is depicted decreasing with height, but w0q0 can also
increase with height. The decrease ofw0y 0

v with height
to about � 0.2 times the surface flux at zi has been
commonly observed. Fromeqn [2], the profile of y-flux
w0y0 should also be linear:

qw0y0

qz
¼ ð1þ 0:61QÞ�1 qw0y 0

v

qz
�Y

qw0q0

qz

� �
½5�

Over the tropical oceans in fair weather, w0q0 is large
andw0y0 is small or even negative through most of the
CBL, particularly if the humidity flux remains large at
the CBL top. This is illustrated in Figure 5, which is
based on data from the Global Atmospheric Research
Programme’s (GARP) Atlantic Tropical Experiment
(GATE) (see World Climate Research Program). On
Day 253 (bottom), the temperature flux is negative
through half the CBL. When this profile is combined
with the humidity flux profile using eqn [5], the result

is aw0y0v-profile close to the idealized profile shown in
Figure 4. On Day 258 (top), the temperature flux is so
small that the humidity flux accounts for most of the
virtual-temperature flux, whose profile again resem-
bles that in Figure 4.

The temperature and moisture fluxes are typically
expressed in Km s� 1 and g kg� 1m s� 1, as in Figure 5
or, when the energy balance is of interest, in terms of
sensible heat flux

H ¼ racpw0T 0 � T

Y
racpw0y0

and latent heat flux LE ¼ raLww0q0 where Lw is the
latent heat of vaporization. H and LE have units
of Wm� 2. The maximum values of H þ LE in
fair weather rarely exceed the incoming solar radia-
tion.A summernoontimemid-latitudevalueofB1000
Wm� 2 is equivalent to w0T 0 B0.8Km s� 1 or w0q0
B0.3 g kg� 1m s�1 for ra ¼ 1:27 kgm�3, cp �1000
m2 s�2 K�1 and Lw ¼ 2:5�106 m2 s�2. Typical
fair-weather values of temperature fluxes over the
ocean range from less than 0.01Km s�1 over the
tropical and subtropical oceans in fair weather
to 0.20Km s� 1 for cold air flowing over warm
water; over land at noontime values reach
0.4Km s� 1. Water vapor fluxes over the ocean lie in
the range 0.015–0.05 g kg� 1m s� 1 in the fair-weather
tropical boundary layer to 0.25 g kg�1m s�1 for cold
air flowing over warm water; noontime values over
land reach 0.25 g kg� 1m s�1.

The linear flux profiles for yv, q, u, and v can be
shown to be consistent with their mean profiles

− + − + − +0 0 0

w ′�′v w ′q ′ u ′w ′

Zs

h2

Z i

h1

Figure 4 Idealized vertical profiles of the vertical flux of virtual-potential temperature flux w 0y0v, specific humidity, w 0q 0, and the

u-momentum flux u 0w 0 (parallel to the mean surface-layer wind).

BOUNDARY LAYERS / Convective Boundary Layer 247



through their tendency equations. The tendency
equation for a quantity C takes the form:

qC
qt

� � q
qz

w0c0 � V � rCþ Sþ
X

Fi ½6�

where qC=qt is the local time tendency, �ðq=qzÞw0c0
is the change in C due to vertical divergence of
the vertical c-flux, �V .rC is advection, S represents
sources and sinks, and

P
Fi represents forces (for

C5momentum). The horizontal divergence of hori-
zontal fluxes is negligibly small in the fair-weather
CBL and is neglected. ForYv andQ,

P
Fi ¼ 0. If there

is no horizontal advection or sources/sinks (approx-
imately true with no clouds and if radiative effects are
negligible)1 then

qðYv;QÞ
qt

� � q
qz

w0ðyv; qÞ0 ½6a�

From eqn [6a], a linear flux profile is consistent with
the constant mean profiles in Figure 3, since qC=qt
must be independent of height for C to remain
independent of height.

Equations [3] and [6] can be combined for
momentum to obtain, neglecting advection:

qU
qt

� � 1

ra

q
qz

ra u0w0 þ fV � 1

ra

qP
qx

½6b�

In the absence of horizontal temperature gradients,
the pressure gradient force �ð1=raÞðqP=qxÞ is
nearly constant with height. U and V are nearly
constant in the mixed layer from Figure 3 and hence
qU=qt must be nearly constant with height. Thus
�ð1=raÞðq=qzÞ ðra u0w0Þ is constant with height, and
the profile of u0w0 is nearly linear. Figure 6 shows u0w0
and v0w0 as a function of height based on a Large Eddy
Simulation (LES) and observations (for u only) for
constant ð1=raÞrP. Surface values of u0w0 are of the
order of �1�10�6U2 m2 s�1, with higher values over
rougher surfaces. The vertical flux of v-momentum
remains small.

Comparison of Figure 3 and Figure 4 shows that
vertical fluxes are large even where the mean vertical
gradient is zero. This results from the mixing elements
extending through the CBL (Figure 1). For example,
updrafts (w0 > 0) carry lowvalues ofu ðu0o0Þupward
from near the surface, and downdrafts (w0o0) carry
high values (u0 > 0) from near the top of the CBL,
resulting in the observed negative vertical flux of
u-momentum. When vertical fluxes are determined
byvertical gradientsoveradeep layer rather than locally,
we call this nonlocal transport or nonlocal mixing.

The Surface Layer

Vertical gradients ofY,Q,U, andV are substantial in
the surface layer. The behavior of the surface layer has
been successfully described in terms of similarity
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1Typical maximum warming or cooling from radiation is of the

order of 0.05Khr�1 in the unpolluted CBL.
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theory, for which the relevant physical parameters are
identified and then combined in a dimensionally
consistent way. For example, under neutral stability
in the atmosphere, where viscosity is negligible, it can
be assumed that the vertical shear of themeanwind is a
function related to distance from the ground and
surface stress u2

n
¼ ððu0w0Þ20 þ ðv0w0Þ20Þ

1
2 � ðu0w0Þ0 for

u defined as parallel to the mean surface-layer wind.
That is,

qU
qz

/ un

z
½7�

where un is called the friction velocity. Hence
U � lnðz=z0Þ, where z0 is the height at which U ¼ 0.
Typical values of z0 over open land are of the order of
10� 2m.

Monin–Obukhov similarity theory includes the
effects of buoyancy as well as stress. Thus the relevant
parameters are un, g=Tv, and virtual temperature flux,
w0T 0

v. The scaling height in the surface layer is the
Monin–Obukhov scaling length, L, given by:

L ¼ � u3
n

ðkg=TvÞw0T 0
v

½8�

where g is the acceleration of gravity, and k is the von
Karman constant (about 0.4).Within the surface layer,
un and w0T 0

v are assumed constant. The depth of the
surface layer is typically of the order of 0:1zi.

From dimensional reasoning and numerous field
measurements, the profiles of a quantity c ¼ y, q, or u
in the surface layer are represented in the form:

C ¼ C0 þ cn ln
z

zc
þCc

z

L

� �� �
½9�

where Ccðz=LÞ is a stability correction that increases
as surface buoyancy flux increases (�L decreases),
and cn � w0c0=un. The height zc is defined so that
CðzcÞ ¼ C0, the value of C just above the surface.
Typical values of zc are of the order of a few
centimeters or smaller.

The Entrainment Layer

The entrainment layer is occupied by both boundary-
layer and free-atmosphere air, and the virtual temper-
ature flux is negative. The varying CBL top is not a
material surface: the more-turbulent air tends to
engulf the air above, incorporating it into the CBL.
Downward motion at the edge of thermals can draw
free-atmosphere air downward into the CBL, where it
is mixed in. Strong shear at the top of the CBL can
generate shear-buoyancy waves which can break and
mix the air at the interface. This mixed air, being less

buoyant than free-atmosphere air, can then be more
easily mixed downward into the CBL.

The growth of the CBL is determined by how fast
new air is engulfed into theCBL, itself a function of the
energy of the engulfing eddies, the resistance of
the free-atmosphere air to engulfment (a function of
the virtual temperature difference DTv between the
CBL and the free atmosphere), and the mean large-
scale verticalmotion at theCBL top. For simplicity,we
collapse the entrainment layer to zero thickness so that
h1 ¼ h2 ¼ zi. For this simple case,

qzi
qt

¼ �ðw0T 0
vÞzi

DTv
þWzi ½10�

In eqn [10], �ðw0T 0
vÞzi=DTv is the entrainment velo-

city (we), or rate of growth of theCBL in the absence of
subsidence ðWziÞ. ðw0T 0

vÞzi varies with the energy
expended in entrainment; DTv is related to the
stratification of the air above the CBL. It is commonly
assumed that

ðw0T 0
vÞzi � �0:2ðw0T 0

vÞ0; ½11�

and this is widely supported by observations.2 How-
ever, the coefficientmight bemuch larger than � 0.2 if
there is large vertical shear of the horizontal wind at
the CBL top.

Turbulence Structure in the CBL

In his 1972 paper describing the first large eddy
simulation of the convective boundary layer, Dear-
dorff found that the proper scaling parameters for the
CBL are

wn � g

Tv
w0T 0

v

� �
0
zi

� �1=3

½12a�

ynv �
ðw0T 0

vÞ0
wn

½12b�

where zi is defined in Figure 3.
The success of the Deardorff scaling velocity wn is

illustrated in Figure 7, which combines data from field
programs in very different environments, GATE and
the Air Mass Transformation Experiment (AMTEX).
For AMTEX (6 days),wn averaged 1.72m s� 1, with a
range from 1.06 to 2.51m s�1; for GATE (4 days of
data),wn averaged 0.53m s� 1,with a range from0.50
to 0.59m s�1. This amounts to a factor of 25 range in
normalizing factors. The outlined inverted triangles

2It is important that virtual temperature be used here. If the
humidity flux is substantial,�ðw0T 0Þzi is typically much larger than

0:2ðw0T 0Þ0, as shown in Figure 5.
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are for GATE days with enhancement of vertical
velocities originating from release of latent heat in
active cumulus clouds. Normalization with wn does
not account for this process, so it is not surprising that
these points are associated mostly with higher vertical
velocities than the normalized curve would predict.

Similarly, q02=qn, where qn ¼ w0q0=wn, and y02=y2
n

both collapse onto a curve whose shape is based on
local free convection similarity arguments, for which
z, zi, g=Tv, and w0T 0

v are the relevant variables, in the

lower CBL (Figure 8), at least for z=zio0:1, but not for
the upper CBL, especially for q02=q2

n
.

The deviations of the normalized q- and y-variances
from the curves in Figure 8 are related to entrainment
processes at the top of the CBL. The deviations can be
accounted for if one assumes a separation of the
correspondingfluxes into ‘top-down’ fluxes associated
with entrainment processes, which decrease linearly
from amaximum value at zi to zero at the surface, and
‘bottom-up’ fluxes, which decrease linearly from the
surface flux to zero at zi. The variance of a scalar c can
be written:

c02 ¼ c02t þ 2c0tc
0
b
þ c02

b
½13�

where the ct-fluctuations are associated with ‘top-
down’ processes, and cb-fluctuationswith ‘bottom-up’
processes. Each component can be normalized using
the corresponding flux:

ft ¼ c02t
wn

ðw0c0tÞ1

" #2
½14a�

fb ¼ c02b
wn

ðw0c0bÞ0

" #2
½14b�

ftb ¼ c0bc
0
t

w2
n

ðw0c0tÞ1ðw0c0
b
Þ0

" #
½14c�

where ðw0c0tÞ1 is the top-down scalar flux at the CBL
top, ðw0c0bÞ0 is the bottom-up scale flux at the surface,
and ft, fb, and ftb are dimensionless functions that can
be determined using a large eddy simulation (LES).
From eqns [13] and [14], the nondimensional variance
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of y can be written:

y02

y2
n

¼ fb þ 2Rftb þ R2ft ½15�

where R ¼ w0y01=w0y00 accounts for the top-down
processes. The resulting function is in better agree-
ment with AMTEX data (Figure 9).

Large Eddy Structure in the CBL

Figure 1 shows a CBL inhabited by a spectrum of
eddies ranging in size from tiny plumes near the
surface to large eddies spanning the CBL, with
horizontal scale (updraft1downdraft) of the order
of 1.5–3 times the CBL depth. Smaller eddies
and turbulence are concentrated in the large-eddy
updrafts.

The variation of large-eddy structure with �zi=L is
illustrated in Figure 10. Roll vortices occur in the CBL
for �zi=L between some small but unknown positive
value and B25,3 with more cellular or random
convection at higher values. The rolls (Figure 10A)
are horizontal counter-rotating helical circulations
that extend through the CBL. They are oriented close
to parallel to the mean CBL wind, or between 15 and
30 degrees to the left of the geostrophic wind (or wind
above the CBL) in the middle latitudes of the northern

hemisphere. Lines of cumulus clouds, or ‘cloud
streets’, sometimes lie above their upwelling regions.
The small angle between rolls and themean CBLwind
means that it can take a half-hour, an hour, or even
longer for a roll to pass over a given point on the
surface. As �zi=L increases, the rolls become more
three-dimensional, looking more like lines of cells
(Figure 10B). The relatively slow advection time for
rolls makes it possible to separate them from the other
large eddies using instruments fixed to the ground,
even though the large eddies may have horizontal
scales comparable to that of rolls in the cross-wind
direction. The linear structures disappear at high
�zi=L, and convection becomes more cellular or
random (Figure 10C).

The dependence of large-eddy structure on �zi=L
has been revealed by observational studies and LES.
The higher ratios are associated with observational
studies; LESs give upper limits around 1.5–2.6. This is
partially a result of the three-dimensionality of rolls at
higher �zi=L. With limited horizontal resolution and
distortions resulting from periodic boundary condi-
tions, such rolls would be hard to identify in an LES.
Further, the definition of ‘roll’ becomes ambiguous as
they become more three-dimensional, even in obser-
vations. Finally, rolls formed over land in the early
morning (small �zi=L) often persist as �zi=L gets
larger.

Departures from the Idealized CBL

The CBL profiles presented apply strictly to a quasi-
steady-state boundary layer in horizontally homoge-
neous conditions with negligible influence from
clouds. Clouds were present when AMTEX (strato-
cumulus) and GATE (cumulus) measurements shown
in Figure 5were taken, but their thickness or coverage
was too small to produce ameasurable effect (the open
triangles representing the exceptions). Over land,
strong diurnal variation restricts ‘quasi-steady-state’
CBLs to roughly 4–5 h starting around solar noon.
Further, terrain, surface vegetation, and soil moisture
are rarely homogeneous, leading to uneven heating,
evaporation, and stress. The marine CBL in fair
weather is close to steady state; winds of a few m s� 1

can mix the upper levels of the ocean sufficiently that
the diurnal variation of temperature at the surface is
less than 1K, with correspondingly small changes in
the CBL. Even in near-calm fair weather conditions,
the diurnal variation of sea surface temperature rarely
exceeds 2.5K. Cloudless marine boundary layers are
rare, but the subcloud layer follows CBL scaling in
marine CBLs topped with small cumulus and relative-
ly weak inversions. Marine CBLs with strong surface
heating and some shallow stratocumulus whose
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Figure9 Profile of y02=y2
n
fromAMTEXaircraft data. LES-derived

curves accounting for top-down and bottom-up processes are

drawn for a plausible range of R ¼ ðw 0y0Þ1=ðw 0y0Þ0 based on

AMTEX data. (From Wyngaard and Moeng (1989) Journal of the

Atmospheric Sciences 14: 2313–2330.)

3The ratio un=wn ¼ ð�0:4L=ziÞ
1
3 is also used to separate rolls

from more three-dimensional CBL convection.
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vertical growth is halted by a strong inversion scales
with zi which also corresponds to cloud top. These two
types of CBL remain sufficiently steady over several
hours that they can be well sampled. Thus it is not
surprising that AMTEX (some stratocumulus) and
GATE (clear to small cumulus) data are commonly
used to test CBL similarity theories and parametriza-
tion schemes.

Because nonideal fair weather CBLs are so com-
mon, some of the features to expect are summarized.

Baroclinic CBLs

The wind profiles in the quasi-steady-state baroclinic
CBL remain constantwithin themixed layer. Fromeqn
[6b], a linearly varying horizontal pressure gradient
with height will be reflected in quadratic vertical
profiles of ra u0w0 and ra v0w0.

Rapidly Entraining CBLs

Such CBLs occur during the morning in fair weather,
or when strong surface heating is combined with a
weak temperature inversion at the CBL top. Mean
profiles of specific humidity andwind varywith height
in the mixed layer under such conditions. However,
the profile of Y (or Yv in humid conditions) remains
nearly constant.

CBLs with Nonprecipitating Cumulus

Once clouds become deep enough, latent heating or
interaction of the clouds with vertical shear will
develop vertical pressure forces that enhance the
exchange of air across the cloud–subcloud layer
interface. This increases w02 at mixed-layer top as in
Figure 7; the resulting vertical mass exchange across

the cloud–subcloud layer interface also produces
vertical variation in Q, U, or V and enhances fluxes
and variances, especially in the upper CBL. Surpris-
ingly, GATE data showed that the shape of the virtual-
temperature flux profile did not change in the presence
of deeper cumulus clouds. Deeper clouds can also
‘break up’ roll vortex circulations.

CBLs Over Nonhomogeneous Surfaces

Moistened surfaces with growing vegetation produce
more vapor flux and less heat flux than dry surfaces
with dormant vegetation or concrete. The fluxes may
‘blend’ or lose their clear relationship to individual
surface features at a certain height if land use varia-
bility takes place at small scales. However, larger-scale
nonuniformities (410 km) can produce mesoscale
variability, with more vigorous turbulence and higher
zi over warmer surfaces, and less vigorous turbulence
and lower zi over cooler surfaces. Mesoscale circula-
tions with upwelling regions over warmer surfaces
may also occur in light winds, but these are difficult to
document. Elevated terrain and slopes facing the sun
are favored places for updrafts in light winds. Flow is
deflected over and around hills, locally producing
stronger than ambient winds and turbulence.

Nomenclature and Units

Capital
letters or
overbar

Averages at a given level above the surface

0 Departure from average
c Scalar
cp Specific heat of air at constant pressure

(m2 s�2K� 1)

(A) (B) (C)

Figure10 Horizontal variation ofCBL large-eddy structurewith�zi=L: (A)�zi=L near 1.5, (B)�zi=L near 10, (C) large�zi=L (near-calm

winds). Shading indicates upwelling regions at a level in the upper half of the CBL; air sinks between. Small arrows illustrate near-surface

flow converging into upwelling regions; flow diverges at CBL top. For rolls, each upwelling region is fed by two counter-rotating vortices.

The large arrows represent the wind vector above the CBL.
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cn w0c0=un in Monin–Obukhov (surface-layer)
scaling (has diminutions of c)

f Coriolis parameter (s� 1)
ft; fb; ftb Dimensionless functions for top-down/bot-

tom-up fluxes, determined using large eddy
similations

g Acceleration of gravity (m s� 2)
H Sensible heat flux (Wm�2)
h1 Base of entrainment layer, top ofmixed layer

(m or km)
h2 Top of entrainment layer (m or km)
hs Top of surface layer (m)
k von Karman constant (dimensionless)
L Monin–Obukhov scaling length,

�u3
n
= k g=Tvð Þw0T 0

v

	 

(m)

Lw Latent heat of vaporization for water vapor
(m2 s� 2)

LE Latent heat flux (Wm� 2)
p Pressure (Pa)
q Specific humidity (g kg�1)
qn Normalized specific humidity flux

(w0q0=wnÞ using CBL scaling (g kg� 1)
R Ratio of flux at zi ðw0y01Þ to surface flux

ðw0y00Þ, used to include top-down fluxes in
characterizing CBL flux or variance (dimen-
sionless)

ra Mass density of air (kgm� 3)
rd Mass density of dry air (kgm� 3)
rm Mass density of water vapor (kgm�3)
T Temperature (K)
y Potential temperature (K)
yv Virtual potential temperature (K)
yn Normalized temperature flux ðw0T 0=wnÞ

using CBL scaling (K)
ynv Normalized virtual temperature flux

ðw0T 0
v=wnÞ using CBL scaling (K)

u Component of horizontal wind parallel to
surface-layer wind, positive in direction of
flow (m s� 1)

un Friction velocity or square root of surface
stress (m s� 1)

V Vector wind (m s� 1)

v Component of horizontal wind 90 degrees
to left of u (m s� 1)

w Vertical wind (m s� 1)
we Entrainment velocity (cm s� 1)
wn Convective boundary layer scaling velocity,

ððg=TvÞðw0T 0
vÞ0ziÞ1=3 (m s� 1).

z0 Height at which V ¼ 0 ðcmÞ
zc Height at which C is equal to its ‘surface’

value C0 ðcmÞ
zi Top of convective boundary layer (m or km)
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Introduction

The atmospheric boundary layer (ABL) is generally
characterized by turbulence. Because it is capable of

mixing air with different properties efficiently, the
representation of turbulence is directly relevant for
atmospheric and environmental modeling. For in-
stance, turbulence directly impacts on the transfer of
momentum, sensible heat, water vapor, ozone, and
methane, among many other quantities, between the
Earth’s surface and the atmosphere. Turbulence also
defines themixing of properties inside the atmospheric
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boundary layer, the transfer of quantities between the
boundary layer and the clear or cloudy atmosphere
aloft, and the mixing inside clouds.

Turbulence in the atmospheric boundary layer is the
three-dimensional, chaotic flow of air with time scales
typically between a second and an hour. The corre-
sponding length scales are from a millimeter up to the
depth of the boundary layer (or more in the case of
clouds). The depth of the dry atmospheric boundary
layer (ABL) can vary over land between tens of
meters during night up to kilometers during daytime
(Figure 2below).Over sea the depth is often typically a
few hundred meters and rather constant on the time
scale of a day. Turbulence in the ABL is mainly due to
the mechanical turbulence by vertical wind shear and
turbulence by convection. Most of the atmosphere
above the ABL is not turbulent, although turbulence
can occur throughout the whole atmosphere. For
instance, cumulus-type clouds, which may grow into
thunderstorms, are always turbulent through convec-
tion produced by the heat released due to the conden-
sation of water vapor. Turbulence can also occur in
clear air above the ABL; most of this is produced in
layers of strong vertical wind shear at the boundary
between air masses (so-called ‘clear-air turbulence’).

Because of the mixing capacity of turbulence,
modeling atmospheric boundary layers is also relevant
formany practical applications. For instance, chimney
plumes are diluted and spread over larger volumes
than they would be without turbulence. As such,
strong local peaks of pollution are prevented and
otherwise clean air is polluted. In practice, turbulence
may also cause engineering problems, because it
shakes structures such as bridges, towers, and air-
planes, causing failure of such systems in extreme
cases. Turbulent fluctuations in the horizontalmotions
during severe storms can be fatal to tall buildings or
bridges, particularly if resonance (e.g., forcing of a
system at its natural frequency) occurs.

The correct formulation of the overall effects by
turbulence, either inside or outside the atmospheric
boundary layer, is an essential part of atmospheric
models dealing with the prediction and study of
weather, climate, and air quality. These models are
based on solving the equations dealing with the
behavior of the atmosphere. With state-of-the-art
computers, the number of grid points in atmospheric
models is limited typically to 107 or so. This implies
that on the regional and global scale the atmospheric
model equations are usually applied to fairly large ‘air
boxes’. Such boxes are often in the order of 10 to
100 kmwide and 10 to a few hundred meters thick. In
these large boxes, smaller-scale motions make air
parcels interact andmix. For example, if a hot parcel is
located next to a cold parcel then turbulent motion at

their boundaries will heat the cool parcel and cool the
hot one. Thus, a closure formulation is needed to
reproduce mixing by the turbulent motions into the
model-resolved scales using the equations for the
larger-scale ‘mean’ motions. It is important to realize
that the closure formulation needs to be expressed in
terms of variables available in the modeling context.
This is called a ‘parameterization’.

This article provides an overview of the modeling
principles and the turbulent closures and parameter-
izations in use for the atmospheric boundary layer,
with emphasis on the modeling and parameterization
of turbulence in the atmospheric boundary layer
without clouds.

Background

Atmospheric models for the forecasting and study of
weather, climate, and air quality are based typically on
integration of the basic equations governing atmos-
pheric behavior. These equations are the gas law,
the equation of continuity (mass), the first law of
thermodynamics (heat), the conservation equations
for momentum (the Navier–Stokes equations), and
usually equations expressing the conservation of
moisture, trace gases, and air pollutants. At one
extreme, atmospheric models may deal with the
world’s climate and climate change; at the other, they
may account for the behavior of local flows at coasts,
in mountain–valley areas, or even deal with individual
clouds. This all depends on the selected horizontal
modeling domain and the available computing re-
sources.

Since there is an enormous range of scales in
atmospheric motion and turbulence, there is a need
to separate the scales of atmospheric turbulence from
larger-scale motions. Let C denote an atmospheric
variable, such as specific humidity. Then C represents
a mean or ‘smoothed’ value of C, typically taken on a
horizontal scale of order 10 (or more) km and a
corresponding time scale in the order of 10min to 1 h.
A local or instantaneous value of Cwould differ from
C. Thus, we have

C ¼ Cþ c ½1�
Here c represents the smaller-scale fluctuations. Note
that we use lowercase for the latter (often primes are
used as well, to indicate fluctuations). In principle, the
fluctuations around the mean motion also reflect
gravity waves and other smaller-scale motions, in
addition to turbulence. Gravity waves often coexist
with turbulence or are generated by turbulence. If the
wind at the same time is weak, there may be no
turbulence at all. Anyhow, if turbulence exists, it
is usually more important for most atmospheric

254 BOUNDARY LAYERS / Modeling and Parameterization



applications, because itmixesmore efficiently than the
other small-scale motions.

Tomake themathematical handling of c tractable, it
must satisfy the so-called ‘Reynolds postulates’. These
require, for example, that c ¼ 0 and that small- and
larger-scale values must not be correlated. After a
quantity has been averaged to create a larger-scale
quantity, further averaging should produce no further
changes, in order for this postulate to apply. Themean
of the summation of two variables A and C will
produce A� C ¼ A� C. A further condition is that a
mean variable C must be differentiable, since differ-
entials show up in the atmospheric equations (see
below). In practice, not all these conditions are
satisfied rigorously. If the Reynolds postulates are
fulfilled, then the averaging for the product of two
variables provides

AC ¼ ACþ ac ½2�
The second term on the right-hand side of eqn [2] is
known as the turbulent covariance. Similarly, the
turbulence variance of a quantity is given by C2 �
C
� �2

(which is the square of the standard deviation).
If in eqn [2] the variable A represents one of the

velocity components (U; V; W in the x; y; z direction,
respectively), then AC is the total flux of C and the
second term on the right-hand side of eqn [2] repre-
sents a turbulent flux ofC. For instance, uc andwc are
the horizontal and vertical turbulent fluxes of the
variableC, respectively.Hereu andw are the turbulent
fluctuations of the horizontal and vertical velocities.
Near the surface, the mean vertical windW is usually
small, and thus the total vertical fluxes are normally
dominated by the turbulent contributions.

Atmospheric Boundary-Layer
Structure

Turbulent fluctuations, variances and fluxes of varia-
bles are influenced by the vertical boundary layer
structure. Here the variation of temperature in the
atmospheric boundary layer plays an important role.
Since pressure decreases with altitude, air parcels,
which are forced to rise (sink), do expand (compress).
According to the first law of thermodynamics, a rising
(sinking) parcel will cool (warm) if there is no
additional energy source such as the condensation of
water vapor. This is then called adry adiabatic process.

It can be shown that in the atmospheric boundary
layer, the temperature ðTÞ variation with height for a
dry adiabatic process is dT=dz ¼ �g=Cp where g is the
gravity constant and Cp specific heat at constant
pressure. The value for g=Cp is approximately 1K per
100m. An atmospheric layer which has such a

temperature variation with height is called neutral
for dry air (at least when there is no convection arising
from other levels). In that case, Y ¼ T þ ðg=CpÞz is
constant, whereY is the potential temperature. (Note
that the previous definition for potential temperature
is not accurate above the boundary layer.) Since air
normally contains water vapor and because moist
air is lighter than dry air, we have to correct for
the influence of this on vertical motions. Consequen-
tly, a virtual potential temperature is defined as
Yv ¼ Yð1þ 0:61qÞ, where q is the specific humidity
(defined as the mass of water vapor per unit mass of
moist air).

In a neutral layer with constantYv, vertical motions
ofmoist (not saturated) air canmaintain themselves. If
the virtual potential temperature of the atmospheric
layer increases with height, vertical displacements are
suppressed. This is termed a stable condition (or
‘inversion’). On the other hand, when the virtual
potential temperature decreases with height then
vertical fluctuations may be accelerated, and hence
this is called an unstable condition. Thus in consider-
ations with turbulent fluctuations and atmospheric
stability, we have to deal with the virtual potential
temperature and not with the actual temperature.
Similarly, the vertical flux of sensible heat is connected
to turbulent fluctuations of (virtual) potential temper-
ature; e.g., it reads as wyv (in mK s� 1). The latter
relates directly to the energy per time and unit areaH
byH ¼ rCpwyv (inWm�2), where r is the density of
the air (in kgm�3).

Figure 1 (after Stull 1988) provides the typical,
idealized, mean vertical profiles for temperature T,
potential temperature Y, specific humidity q, in
addition to the horizontal wind M (defined by
M2 ¼ U2 þ V2). These profiles apply for an atmos-
pheric boundary layer over land in clear sky conditions
in the afternoon and aroundmidnight.Note that in the
free atmosphere the horizontal wind is mostly a result
of the action of the larger-scale pressure differences
and the Coriolis force due to the rotation of the Earth,
though other effects may play a role as well. The
resulting wind is known as the ‘geostrophic’ wind and
is indicated by G in Figure 1 (dashed line). In the
daytime boundary layer the actual wind is smaller
because of surface friction, while at clear nights the
actual wind away from the surface may be substan-
tially stronger thanG owing to inertial effects (result-
ing in the so-called ‘low-level jet’).

The temporal variation of the mean boundary layer
profiles over land can be quite substantial, owing to
the strong diurnal variation of solar incoming radia-
tion and the nighttime cooling at the land surface.
During daytime the turbulent boundary layer may
grow to several kilometers into the non-turbulent ‘free
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atmosphere’ (indicted as FA in Figure 1). At night the
turbulent part of the stable boundary layer (SBL) may
only extend up to a few hundred meters or less (the
lowest dashed line in the lower figure). An idealized
picture for the temporal variation of the boundary
layer over land is given in Figure 2 (after Stull 1988).
Here the arrowswith local time indications refer to the
daytime and nighttime values of Figure 1.

Figure 1 also indicates that the boundary layer
during daytime shows a three-layer structure: an
unstable surface layer (SL), a well-mixed layer (ML)
with rather uniform (virtual) potential temperature,
and a stably stratified entrainment zone (EZ). In the
latter zone, turbulence acts to exchange heat, momen-
tum, water vapor and trace gases between the bound-
ary layer and the free atmosphere. During nighttime,
often the vertical structure of the previous day persists
above the SBL. As such, a residual layer (RL) with
sporadic turbulence (remaining from the previous day)
can be identified as well as a capping inversion (CI).

Modeling

The challenge of modeling the atmospheric boundary
layer is the prediction of the temporal variation of the
vertical and horizontal structures in response to the
influence of the major processes acting in the atmos-
phere andat theEarth’s surface.As such, the governing
equations have to be integrated. In practice, the
variables are split into ‘mean’ larger-scale motions
and smaller-scale fluctuations as in eqn [1]. Inserting
this into the basic equations and averaging provides a
set of equations for the behavior of the larger-scale
(mean) variables. The larger-scale variables are then
used explicitly in atmospheric models. This can be
demonstrated as follows.

The general character of anyof the budget equations
dealing with atmospheric motions is

DC

D t
¼ Si ½3a�

Here Si represents the subsequent sources and sinks for
the variable C (such as radiation or chemistry effects).
The notation DC=Dt represents the total rate of
change for the variable C by local changes ðq=qtÞ,
and changes transported with the fluid motion in the
three directions. As such, we have

qC
qt

þU
qC
qx

þ V
qC
qy

þW
qC
qz

¼ Si ½3b�

Here U; V; W are the wind speeds in the three
directions x; y; z, respectively.

If in the atmospheric motion each variable is split
into amean component anda fluctuation then eqn [3b]
provides – after Reynolds-averaging, some algebraic
manipulations, and simplifying assumptions – a
budget equation for themean variableC. This reads as

DC

Dt
¼ qC

qt
þU

qC
qx

þ V
qC
qy

þW
qC
qz

¼ Si � quc
qx

� qvc
qy

� qwc

qz ½4�
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We may note that in the derivation of eqn [4], single
terms representing fluctuations have disappeared (as
above in eqn [2]). However, terms involving the
product of two fluctuations do remain.

Thus because the basic equations are nonlinear, the
budget equations for themean variables contain terms
involving smaller-scale motions. The latter terms are
of the form of a divergence of fluxes produced by such
motions in the three directions and appear as the last
three terms in eqn [4]. These motions are said to be
subgrid, and, consequently, closure formulations or
parameterizations are needed to introduce mixing by
the smaller-scale, subgrid motions into the equations
for the larger-scalemotions (as resolved by themodel).
Note that additional terms may also appear in eqn [4]
when the source or sink term Si incorporates nonlinear
effects (such as in the case of chemistry).

A special and simple form of eqn [4] arises for
horizontally homogeneous conditions. In such cases
the terms including horizontal derivatives are neglig-
ible. If in addition the mean vertical wind is small,
and if there are no other sources and sinks, then
eqn [4] provides

qC
qt

¼ � qwc

qz
½5�

This equation is known as the one-dimensional,
vertical diffusion equation. It shows that the local
time rate of change for the mean of a variable (such as
temperature or wind) at a certain height is given by the
divergence of the turbulent (corresponding heat or
momentum) flux in the vertical direction. As such,
information on the turbulent fluxmay produce a local
forecast of the variation of a mean variable (but only
under the simplifications mentioned). However, nor-
mally the other terms in [4] are also relevant, in
particular the terms with mean wind speed (the so-
called ‘advection terms’). This means that in general
the budget equations for momentum, heat, and the
various scalars are closely coupled in any atmospheric
model.

Equation [4] can also be integrated in the vertical
direction to account for the averaged effect of turbu-
lence on the boundary layer development. This is
particularly suitable for very unstable boundary lay-
ers, which are more or less uniformly mixed by the
dominant presence of convection. Awell-mixed struc-
ture is frequently observed for potential temperature
in daytime convective conditions over land (see also
Figure 1). Integration of [4] provides (e.g., Garratt
1992)

h
DhCi
Dt

¼ wc0 �wce ½6�

Note that we have neglected the horizontal fluxes and
the source term Si here for simplicity. In eqn [6], hCi is
the mean concentration across the boundary layer, h is
the mean depth of the turbulent boundary layer,wc0 is
the surface flux, and wce is the flux at the top of the
boundary layer. The latter represents the exchange of
C through entrainment of air fromabove the boundary
layer into the ABL.

Equation [6] can be used to solve for the time
development of hCi, but a separate equation for the
boundary layer depth is needed in addition to infor-
mation on the fluxes at the top and bottom of the ABL.
Such an approach is known as ‘bulk’ or ‘mixed-layer’
modeling. For clear boundary layers, it appears that
the entrainment flux for heat at the top of the
boundary layer is proportional to the surface heat
flux. However, for cloudy boundary layers the param-
eterization of the entrainment flux is not that simple,
and remains a subject of research.

Before we proceed with more detailed parameter-
izations for the fluxes in the boundary layer, let us deal
with the derivation of the surface fluxes. These fluxes
enter as boundary conditions when solving the budget
equations for all the relevant mean variables (in any
approach). It is important to realize that near the
surface, the average wind must vanish because the
mean wind is zero at the Earth’s surface. On the other
hand, we know from observations that the fluxes of
heat, momentum, and trace gases are nonzero. Con-
sequently, it is convenient to model an ‘effective’
surface flux wc0 of a conserved variable due to the
combined effect ofmolecular diffusion and turbulence
at the surface. This can be achieved by writing

wc0 ¼ btwtðC0 � CaÞ ½7�

where C0, and Ca are the values of the transported
variable at the surface and in the air, respectively, bt a
transfer coefficient, and wt an effective transport
velocity representing the turbulence. For example, in
near-neutral conditions the effective transport velocity
is well represented by the well-known surface friction
velocity un0. Then it can be shown that bt ¼ k=ln
ðz=z0Þ, where k is the Von Karman constant (often
specified as k ffi 0:4), z the corresponding height of Ca

in the lowest part of the boundary layer, and z0 is the
so-called surface roughness length for the variable C.

A Diagnostic Local Mixing
Parameterization

To solve the budget eqn [4] for all the mean atmos-
pheric variables involved, the terms involving turbu-
lent fluxes need to be parameterized. As mentioned
before, this means that the fluxes need to be expressed
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in terms of available mean model quantities, both in
the atmosphere and at the surface. Once this has been
achieved, the atmospheric model equations can be
integrated. Thus, starting with proper initial values,
new values can be calculated for the following time
step and so on.

For environmental and atmospheric models the
parameterization most frequently used is known as
first-order closure, or K-theory. In this theory it is
assumed that the fluxwc of a variableC in the vertical
direction z is down the vertical gradient of the mean
concentration of C per unit mass. Thus

wc ¼ �KC
qC
qz

½8�

where,KC is the ‘eddy diffusivity’ ormixing coefficient
for the variable C. Similarly, the horizontal fluxes can
be represented in terms of horizontal gradients. Note
that the corresponding eddy diffusivities typically are
not constant but depend generally on properties of the
flow and the variable of interest. This also means that
normally no analytic solutions are possible, not even
for the simple case in which eqns [5] and [8] are
combined.

We may note that the dimension of an eddy
diffusivity is a length scale ‘ times a velocity scale.
These are proportional to the products of effective
eddy sizes and eddy velocities in the corresponding
directions. Often a diagnostic expression is used for
the eddy diffusivity, on the basis of what is called
‘mixing length theory’ (in analogy with molecular
diffusion). The result reads as

KC ¼ ‘2 S f ðRiÞ ½9�
Here S is vertical wind shear (that is the variation of
mean horizontal wind with height). Note that the
combination ‘S in eqn [9] has units of velocity. In eqn
[9], f ðRiÞ denotes a functional dependence on local
stability as represented by the gradient Richardson
number Ri, defined by

Ri ¼ g

Yv

qYv=qz

qU=qz
� �2þ qV=qz

� �2 ½10�

where g is the acceleration due to gravity and Yv the
mean virtual potential temperature.

The specification of the length scale ‘ is not at all
straightforward, except near the surface, where so-
called ‘surface-layer similarity theory’ (see Stull 1988
and Garratt 1992) provides that ‘ / z. A frequently
used form for ‘ is:

1

‘
¼ 1

kz
þ 1

l
½11�

Here l is a turbulent length scale, which should be
valid for the turbulence far above the surface.We note
that the latter has a rather empirical nature and
consequently there is no agreement on the specifica-
tion of l in the literature.

Equations [9] and [11] are diagnostic equations,
which indicate that the eddy diffusivity varies with
height, wind speed, stability, etc. In combination with
the flux parameterization of eqn [8], it follows that the
flux at a certain height depends on the local gradient of
the mean variable involved. Consequently the ap-
proach is referred to as a ‘diagnostic local mixing
approach’. Such an approach is mostly suitable for
relatively homogeneous conditions with neutral and
stable stratification, and is not so suitable for cases
with convection (see nonlocal mixing parameteriza-
tions below).

Prognostic Mixing Parameterizations

A physically realistic alternative to the diagnostic
approach is to relate the eddy diffusivity of eqn [8] to
the actual turbulent kinetic energy of the flow, by using
the prognostic turbulent kinetic energy equation and
an appropriate choice for the turbulent length scale. It
is important to realize that the kinetic energy of
atmospheric motion per unit of mass E is given by the
half of the sum of the velocities squared in the three
directions (as in classic mechanics), e.g. E ¼
ðU2 þ V2 þW2Þ=2. As with respect to eqn [2], we
can separate between the mean kinetic energy E of
the mean atmospheric motions and the turbulent
kinetic energy (TKE or e) of the smaller-scale fluctuat-
ing motions by turbulence. Thus e is given by
e ¼ ðu2 þ v2 þw2Þ=2.

The prognostic equation for e reads in its basic form
as:

De

Dt
¼ �uw

qU
qz

� vw
qV
qz

þ g

Yv
wyv þD� e ½12�

Here De=Dt is the total variation of e with time (the
sum of local variations and those transported with the
mean air motion). The two terms on the immediate
right-hand side of eqn [12] represent the shear
production of turbulence. These depend primarily on
vertical variations of wind or, near the ground, on
wind speed and surface roughness. The terms are
almost always positive. The third term in eqn [12]
represents the rate of production or breakdown of
turbulence by buoyancy effects (such as heat convec-
tion). It depends directly on density effects, which can
bewritten in terms of the virtual potential temperature
Yv, and its turbulent fluxwyv. The termD in eqn [12]
represents divergence and pressure redistribution
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terms. These have a tendency to cancel near the
surface. Finally, the term e reflects the molecular
dissipation of turbulence into heat, and this term is
always positive. In fact, e is typically proportional to
e=t, where t is the characteristic time scale for the
turbulent mixing process.

Using eqn [12], turbulent kinetic energy can be
calculated for given mean profiles when the corre-
sponding fluxes are calculated using eqn [8] for all
fluxes involved. In this approach the diffusivities are
typically calculated with equations of the form

KC ¼ ac‘
ffiffiffi
e

p ½13�

Here ac is a constant depending on the variable of
interest. The length scale is typically calculated with a
similar type of diagnostic equation such as eqn [11]
provides. This approach is known as the ‘TKE-length
scale approach’ and it is an example of so-called 1.5
order closure. Sometimes a prognostic equation is used
for the length scale as well, but such an approach is
more popular in engineering applications than in the
atmospheric sciences.

It can be shown that eqn [9] is a solution of eqns [12]
and [13] in stationary conditions and when other
simplifications are made such as the neglect of the
influences by advection and turbulence divergence in
the TKE equation. Figure 3 gives an example of the
results produced by an atmospheric boundary layer
model on the basis of a TKE-length scale approach in
comparison with observations and an alternate ap-
proach discussed below (after Cuxart J et al. (1994)).

A more advanced turbulence scheme is known as
‘second-order closure’. In such an approach, prognos-
tic equations are developed for the fluxes and vari-
ances themselves. Such equations have a structure very
similar to that of eqn [12] for kinetic energy. Unfor-
tunately, new unknowns are present in these equa-
tions, and must be related to the other variables in the
model equations, always involving assumptions.
Thus, second-order closure involves many more than
the original equations and is therefore computation-
ally more time-consuming (‘expensive’) than first-
order and 1.5-order closure.

One might expect that a model with 1.5 or second-
order closure would produce more realistic results
than a model with a first-order closure. However, in
practice this is often not the case, because of complex
model interactions and the difficulty of representing
all the relevant details with sufficient accuracy. That is
why diagnostic approaches remain popular. Never-
theless, second-order equations are useful for gaining
insight in the governing physics, and after simplifica-
tion useful extensions of the basic parameterizations
may be achieved.

Non-Local Mixing Parameterizations

Previous sections have dealt with the most popular
turbulence parameterizations in use for modeling
atmospheric boundary layers for weather, climate,
and air quality. In the literature many more examples
can be found of parameterization schemes and of
comparison studies with data like the one of Figure 3.

Here discussion continues with the mixing param-
eterizations which have been proposed for boundary
layers with strong atmospheric convection. In such
cases, the turbulent flux of a conserved quantity is
typically not proportional to the local gradient alone
as predicted by eqn [8]. In fact, in a large part of the
ABL the mean gradients are small in conditions with
dry convection, in particular for potential temperature
(see Figure 1). The fluxes then depend mostly on the
mixing characteristics of the large eddies across the
ABL.

Theories are available, which have modified K-
theory to allow for the influence of convection, for
example by including additional terms at the right
hand side of eqn [8]. This reads as

wc ¼ �KC
qC
qz

þwcnl ½14�

where wcnl is the nonlocal flux representing the
influence of the large-eddy mixing in the boundary
layer with convection. The formulation of the latter is
not so straightforward in the general case. The eddy
diffusivity KC in eqn [14] is suitably modeled with the
1.5-order approach using the full kinetic energy
equation, and a length scale formulation, which may
depend on the actual height and the depth h of the
boundary layer.

In the case of a clear, stationary boundary layer
dominated by dry convection, it appears that the eddy-
diffusivity is also well described by a profile function
(Holtslag and Moeng 1991)

KC ¼ wnh
z

h

� �4=3
1� z

h

� �2
½15�

wherewn is known as the convective velocity scale for
the clear boundary layer. The latter is defined as

wn ¼ g

Yv

wyv0 h
� �1=3

½16�

wherewyv0 is the surface sensible heat flux heating the
boundary layer from below. For dry convection, the
nonlocal flux correction term of eqn [14] is typically
proportional to the surface flux of the variable
involved. Then

wcnl ¼ f ðz=hÞwc0 ½17�
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where f ðz=hÞ is a dimensionless function of relative
height.

Other non-local flux parameterizations are also
discussed in the literature, including mass flux ap-
proaches and ‘transilient’ turbulence closures. In a
mass flux approach the turbulent layer is divided into
updrafts and downdrafts, each with a typical concen-
tration for the variable of interest. The updrafts and
downdrafts can be defined on basis of the sign of

vertical velocity or more restrictive definitions (in the
case of clouds). Using such an approach, the updraft
and downdraft variables are connected to a number of
equations, which can be closed when the horizontal
exchange (‘lateral entrainment’) of mass and other
variables between the up- and downdrafts is treated
well. It is noted that the mass flux approach has been
quite successful for representing cumulus and strato-
cumulus in atmospheric models (Emanuel 1994).
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In the transilient turbulence approach the flux for a
variable of interest is modeled by considering all
possible exchanges of air parcels in a vertical column
(Stull 1988). As such, a direct representation can be
given of the nonlocal mixing by larger eddies which
transport fluid across a finite distance before the
smaller eddies have a chance to cause the fine-scale
mixing. Such an approach particularly suitable for
cases with convection, although, it has been docu-
mented that the results by using the transilient
approach are very similar to the results of a 1.5-order
turbulence scheme (see also Figure 3), but with higher
computational costs in the transilient case (at least for
clear boundary layers).

Final Remarks

This article has given a summary of the basic
approaches for the modeling and parameterization
of turbulence in the atmospheric boundary layer.
Emphasis has been given to the treatment of
atmospheric turbulent mixing in models with a
horizontal spatial grid distance of order 10 to
100 km, a vertical grid distance of 10 to 100m, and
resolving time scales of order 10min or larger. The
treated approaches are in current use in regional and
global-scale models for the forecasting and study of
weather, climate, and air quality. Some of the ap-
proaches can be adapted for turbulence above the
boundary layer, such as turbulence in clouds or in
elevated shear layers. However, important exceptions
have been documented in the literature when so-called
‘mesoscale processes’ have their influence – for
instance, when extensive fields of stratocumulus are
present, or in the case of deep cumulus clouds and
thunderstorms.

The atmospheric model equations can also be
applied on much smaller spatial and temporal scales
than discussed here, for instance by using vertical
and horizontal grid elements of 10 to 100m, and time
steps of seconds only. It is important to realize that in
such cases a significant number of the turbulent
fluctuations are resolved by the model equations.
This type of modeling is nowadays known as ‘large
eddy simulation’ (LES; see also Large Eddy Simula-
tion) and has become a powerful and popular tool in
the last decade to study turbulence in clear and cloudy
boundary layers under well-defined conditions (see
also Boundary Layers: Ocean Mixed Layer). It is
important to realize that in the case of LES the
simplifying assumptions leading to eqn [2] are nor-
mally not valid.

Generally, much work needs still to be done before
we have a full understanding of the complexity of
atmospheric turbulence and before we have a more

unified treatment of turbulence on the different scales
which occur in nature. It is to be hoped that a better
understanding of atmospheric turbulence contributes
also to our capability in refining and unifying the
turbulence parameterizations for modeling of the
atmospheric boundary layer in response to the differ-
ent type of surfaces found in reality. The current text
can be seen only as a rather broad overview of the
approaches in use. Details can be found under Further
Reading as well as in the scientific literature.
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Introduction

The typical planetary boundary layer (PBL) flow is a
complex one, varying in space and time and governed
by the rotation of the Earth, the horizontal pressure
gradient and its variationwith height (baroclinity), the
vertical density structure (quantified using the virtual
potential temperature, yv), the intensity of small-scale
turbulence, the presence of cloud, topographical
influences, and the roughness, slope, and horizontal
heterogeneity of the surface. Numerical results also
suggest a possible dependence of PBL structure on
latitude and geostrophic wind direction, though this
has yet to be confirmed fromobservation. As a starting
point, and a reference for many of the more complex
theories and models of the boundary layer, we can
eliminate many of the above complexities, by consid-
ering idealized steady, neutrally stratified, horizontally
homogeneous flow over an extensive level surface of
uniform roughness. Furthermore, we specify that the
horizontal pressure gradient is uniform with height
(barotropic flow) and that there are no clouds. Here,
the neutral clear-sky PBL is one in which buoyancy
effects caused by surface heating and cooling are
absent, and yv is constant with height. (In contrast, the
unstable and stable clear-sky PBLs (see Boundary
Layers: Convective Boundary Layer; Stably Stratified
Boundary Layer) are the result of surface heating and
cooling respectively, with yv decreasing or increasing
with height accordingly.) In addition to all of the above
simplifications, we confine most of the discussion to
nonequatorial regions of the globe, outside of the 5�

latitude belt either side of the Equator, where the
Coriolis accelerations are important. Under these
conditions, flow above the PBL is in geostrophic
balance, meaning that the Coriolis and horizontal
pressure-gradient forces are equal and height-invari-
ant, and flow is parallel to the isobars. Friction at the
surface, communicated vertically through the action
of small-scale turbulence, disturbs this balance. The
inclusion of boundary layer friction creates subgeo-
strophic, cross-isobar flow, with a balance between
Coriolis and pressure-gradient forces, and internal
friction.

The idealized neutral, barotropic boundary layer is
rarely observed in the atmosphere, but its structure can

be deduced from wind-tunnel observations and nu-
merical simulations. Nonrotating wind-tunnel obser-
vations reveal that, in the lowest 10%of the boundary
layer (the inner layer) but not too close to the surface,
the velocity varies as the logarithm of the height and
the vertical turbulent momentum flux is approximate-
ly constant with height. Throughout the remainder of
the boundary layer (the outer layer), the velocity
approaches the free-stream value and the stress
decreases toward zero. In rotating wind-tunnel obser-
vations and numerical simulations of the PBL, the
outer layer exhibits a rotation of the wind vector
toward the free-stream or geostrophic value; the stress
vector also rotates as it decreases toward zero.

Simplified Equations of Motion
for the PBL

For horizontal spatial or temporal mean wind com-
ponents u and v along arbitrary axes, the equations
describing momentum balance for horizontally ho-
mogeneous steady flow are given by eqns [1] and [2].

qu
qt

¼ 0 ¼ f ðv� vgÞ � qðu0w0Þ
qz

½1�

qv
qt

¼ 0 ¼ �f ðu� ugÞ � qðv0w0Þ
qz

½2�

The primed variables represent deviations from the
mean; f is the Coriolis parameter (positive north of the
Equator); z is the height; and ug, vg ð�ðrf Þ�1qp=qy,
ðrf Þ�1qp=qxÞ are the geostrophic wind components.
Equations [1] and [2] refer to average wind compo-
nents u and v. The last term in each equation arises
because, as a result of averaging, nonlinearities in the
instantaneous equations generate nonzero covari-
ances of the fluctuating wind components, u0, v0, and
w0. These represent the effects of small-scale turbu-
lence arising from the surface friction, and are a
measure of the vertical flux of horizontal momentum
or Reynolds stress, with components tx=r ¼ �u0w0 ¼
K qu=qz and ty=r ¼ �v0w0 ¼ K qv=qz. Here we have
introduced flux–gradient relations analogous to mo-
lecular transport; the eddy viscosity K, unlike its
molecular counterpart n, is a strong function of height
and flow velocity. The surface frictional stress imposes
on the turbulent flow a velocity scale of fundamental
importance, viz. the surface friction velocity un given
by u2

n
¼ ðu0w02 þ v0w02Þ1=2, where the covariances

take their surface values. Note that viscous terms
n q2u=qz2 (in eqn [1]) and n q2v=qz2 (in eqn [2]), where
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n is the kinematic viscosity of air, are excluded because
for PBL flow they are many orders of magnitude
smaller than the other terms. (The importance of the
viscous terms is traditionally evaluated through the
Reynolds number ðReÞ, defined as the ratio of
the inertia ð�U2=L, U and L being dominant velocity
and length scales of the flow) and viscous terms
ð�nU=L2Þ, viz.Re¼UL=n. For PBLflow,Re�107–108

compared witho105 typically in the wind tunnel.)
Three coordinate systems are common; these

have the x-axis aligned (i) along the mean surface
stress (that is, the near-surface mean wind direction),
(ii) along the surface geostrophic wind direction,
or (iii) from west to east. We have chosen to use the
first of these, with v positive (negative) along the
y-axis in the Northern (Southern) Hemisphere:
hence, ug ¼ G cos a0 and vg ¼ �signG sin a0, where
G is the geostrophic wind magnitude, a0 is the
magnitude of the angle between the surface stress
vector and the surface geostrophic wind vector
(the cross-isobar flow angle), and the sign function
takes values of þ1 ð�1Þ in the Northern (Southern)
Hemisphere.

Solution of eqns [1] and [2] requires treatment of the
unknown covariance terms or second-order moments.
We could construct equations for these second-order
moments only to find that unknown third-order
moments arise. In general, the equation of the nth-
order moment contains terms of the ðnþ 1Þth order,
and it is impossible to close the set. This is known as
the turbulence closure problem. Numerical solutions
are not the only means by which wind and stress
profiles can be determined, as the next section will
demonstrate.

Wind-Profile Laws – Scaling of the
Momentum Equations

Suitable scaling of physical variables (non-
dimensionalization) often allows a series of experi-
mental plots (profiles) to collapse into a single
universal profile. When this happens we call the
result a similarity law. For example, turbulent
boundary layer observations over a smooth surface
in the wind tunnel reveal universal wind profile
behaviour, (i) close to the surface only when winds
are plotted as u=un against zun=n, and (ii) well
away from the surface, and throughout most of
the boundary layer, only when winds are plotted as
ðu�UÞ=un against z=d, U being the free-stream
velocity and d the boundary layer depth. Then,
both inner and outer layers exhibit similarity
laws, but they are different laws. A critical hypothesis,
reviewed in detail by Clauser in 1956, states that

between the inner and outer layers there exists a
region of overlap where the nondimensional vari-
ables of both regions are appropriate and the
profiles can be matched. The idea of applying this
concept of matching profile laws in the neutral PBL
was taken up by Kazanskii and Monin in 1960,
Csanady and Gill in 1967, Blackadar and Tennekes in
1968, and others.

The approach states that unique nondimensional
forms of the wind profile exist throughout the PBL,
and that the surface stress, because of the above
idealizations, is related to three external parameters
only –G, f , and a surface length scale z0, known as the
aerodynamic roughness length (in the absence of
topography, it is determined by small-scale surface
friction only). This is an important length scale
characteristic of the surface and its roughness features
(see eqn [5a] later for its formal definition). Specifi-
cally, the quantity un=G should be a function of
G=jf jz0, the surface Rossby number Ro, giving a drag
relation that links un to external parameters. In
the 1960s and 1970s, such a relation was intensively
studied, including its extension to nonneutral and
baroclinic conditions, for it provided a means by
which the surface stress (and surface sensible
and latent heat fluxes in nonneutral conditions) could
be determined from a large-scale wind and other
variables, and from specified external parameters.
This was important for oceanographic purposes,
and for use in the relatively primitive large-scale
numerical models of the atmosphere of that time.
Such models had the lowest atmospheric level
usually at about 1 km height, and so did not resolve
the PBL. By the 1980s, vertical resolution was much
improved, mainly because of advances in comput-
ing, and numerical models began to use Monin–
Obukhov similarity theory or an approximation of it
to determine surface fluxes. Consequently, the devel-
opment and application of PBL parameterization
schemes based on Rossby number similarity theory
began towane. But the theory is recognized as amajor
step forward in understanding PBL structure, and
serves as an important reference for numerical and
theoretical studies of PBL wind and turbulence
behavior.

The nature of the wind profiles, and of the drag
law, can be deduced as follows. In this, it is recognized
that the appropriate scaling velocity is un not G,
since turbulence is such an intrinsic property of
the PBL, and un is linked closely to the kinetic
energy of the turbulence field. Near the surface,
scaling of eqns [1] and [2] with un and z0 yields a
near-constant stress layer (often called the surface
layer) in the limit Ro ! 1, and the requirements
of eqns [3a] and [3b] giving relations independent
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of Ro (Ro similarity).

u

un

¼ fx
z

z0

� �
½3a�

v

un

¼ 0 ½3b�

Note that eqns [3a,b] do not apply too far above the
surface because there the wind vector rotates and v is
necessarily a function of height. In the outer layer,
scaling with un and jf j leads to the defect relations [4a]
and [4b], again showing Ro similarity and identifying
a natural scaling height ðun=jf jÞ for the neutral PBL.

ðu� ugÞ
un

¼ Fx
zjf j
un

� �
½4a�

ðv� vgÞ
un

¼ Fy
zjf j
un

� �
½4b�

Note that eqns [4a,b] provide a means of representing
the wind profile above the surface layer according to a
universal defect law; they do not apply close to the
surface, since there u ! 0, v ! 0 and the left-hand
side is expected to be a function of Ro.

Matching in the overlap region requires that both
eqns [3] and [4] are simultaneously valid; for the u
component, this requires fx and Fx to be logarithmic
and for the v component, Fy must be a constant. Thus,
in the range where z=z0 � 1 and zjf j=un � 1, eqns
[5a] and [5b] hold together with eqns [5c] and [5d].

u

un

¼ k�1 ln
z

z0
½5a�

ðu� ugÞ
un

¼ k�1 ln
zjf j
un

� �
þ A

� 	
½5b�

v

un

¼ 0 ½5c�

sign
ðv� vgÞ

un

¼ B

k
½5d�

A and B are similarity constants, and k is the von
Karman constant. (The classical derivation of eqn
[5a], which is somewhat more restrictive than that
developed here, likens the surface layer to a ‘constant-
flux’ layer and assumes that K is the product of a
velocity ðunÞ and a mixing length ðlÞ. Then, since l is
assumed to be proportional to the height above the
ground z,K ¼ kunz in the surface layer and, given that
tx=r ¼ u2

n
¼ K qu=qz, it follows that qu=qz ¼ un=kz.

Integration gives eqn [5a]. The logarithmic wind
(velocity) law has been observed in the wind tunnel,
atmosphere, and ocean, with an overall value of k
close to 0.4.)

Equations [5] show that thewind components in the
overlap region can be plotted as an absolute wind
(eqns [5a,c]) or as a wind defect (eqns [5b,d]), and in
each case will satisfy a specific function of nondimen-
sional height. Below the overlap region, as z=z0 ! 0,
the logarithmic law breaks down, mainly because the
wind profile is affected directly by the roughness
elements. Above the overlap region, the logarithmic
dependence (eqn [5b]) becomes a general functional
form of zjf j=un, with u ! ug, v ! vg at z ¼ d, with d
typically 0.2–0.3un=jf j (see later). At heights greater
than 0.01–0.02un=jf j, the nature of the wind profile
(eqn [4]) must be determined from observations and
solutions to eqns [1] and [2].

A significant result is obtained by subtracting eqn
[5a] from [5b], and eqn [5c] from [5d], to give eqns
[6a] and [6b], respectively.

ug
un

¼ k�1 ln
un

jf jz0

� �
� A

� 	
½6a�

sign
vg
un

¼ �B

k
½6b�

A combination of the two components of eqns (6)
yields a specific drag law un ¼ CGðRoÞG, as anticipat-
ed above, which is supported from observations of
wind profiles over a range of surfaces for 104 (forested
land)oRoo109(oceans). In addition, tan a0 ¼
�signðvg=ugÞ ¼ Bun=kug. Since un=ug increases with
increasing roughness, and hence with decreasing Ro
(eqn [6a]), themagnitudeof the cross-isobar flowangle
also increases with increasing roughness. Figure 1
shows values of un=G and a0 from four atmospheric
experiments (see figure legend for details), a rotating
wind-tunnel experiment, and direct numerical simu-
lation (see later). The continuous curves in Figure 1 are
based on eqns [6a] and [6b], using values of A ¼ 1:4,
B ¼ 4:5 averaged for observations from a wide range
of locations; the dashed curve is for a two-layer
analytical model to be discussed later. Comparisons
are complicated by the much smaller values of Re for
the wind-tunnel and numerical results.

Observations

Numerous observations of the neutral turbulent
boundary layer have been made in linear, nonrotating
wind tunnels, but few observations have been made in
rotating wind tunnels or in the atmosphere. Atmos-
pheric observations in nonneutral conditions aremore
common, such as those from the six-week-long 1967
Wangara experiment at Hay in south-east Australia.
Such observations have been widely used to extend
Rossby-number similarity theory to both unstable and
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stable conditions (see Boundary Layers: Convective
Boundary Layer, Stably Stratified Boundary Layer).
Observations in the nonneutral surface layer are
plentiful, and have been used to confirm Monin–
Obukhov similarity theory as an extension of
eqns [5a, c], and the analogous relations for temper-
ature and humidity, to the nonneutral case. Samples
of observed neutral surface layer wind profiles for
a range of natural surfaces are shown in Figure 2,
together with analogous profiles from rotating
wind-tunnel and direct numerical simulation experi-
ments. For the individual atmospheric 30-minute
averaged profiles, the slopes of profiles tend to range

between 0.35 and 0.41 (the value of k), and the
failure of them to fall on a single universal curve
reflects the inherent experimental errors in measured
un and z0, and the presence of unsteadiness in the wind
field over land.

Observed wind profiles in the neutral, or near-
neutral, PBL are rare, with steady-state conditions
even rarer except possibly over the oceans. Observa-
tions that have come closest to the ideal case were
made on one day in October 1931, near Leipzig
in Germany, collectively known as the Leipzig
Wind Profile. Numerous analyses have been carried
out on this profile; even so, there is some evidence
that conditions were mildly baroclinic with slightly
stable stratification. The averaged observations,
at 50 and 950mheight and at 100m intervals between
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Figure 1 Variations of un=G, the geostrophic drag coefficient,

and the cross-isobar flow angle a0, with log10 Ro based on eqn [6]

with A ¼ 1:4 and B ¼ 4:5 (continuous curve) and the two-layer

analyticalmodel (dashedcurve, to be discussed later) forb ¼ 0:01.

Also shown are field averages for Leipzig in Germany (L) based on

data from Swinbank (1970) (Arch. Met. Geoph. Biokl. Ser. A, 19,

1–12); Upavon in southern England (U) based on data in Deacon

(1973) (Boundary-Layer Meteorol. 5, 321–340); Hay in south-east

Australia (H) from Clarke (1970) (Q. J. R. Meteorol. Soc. 96,

91–114); the Joint Air–Sea Interaction (JASIN) experiment in the

north-east Atlantic (J) fromNicholls (1985) (Q. J. R. Meteorol. Soc.

111, 391–426), togetherwith rotatingwind-tunnel data (�) fromRun

2 of Caldwell et al. (1972) (Geophys. Fluid Dyn. 3, 125–160) and

direct numerical simulation data at Re ¼ 1000 ( ) for a smooth
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Figure 2 Sample nondimensional wind profiles for neutral

conditions from Kansas (wheat stubble) Run 49D (Izumi (1971)

Environ. Res. Papers, No. 379), designated Ka; Hay (dry short

grass) Run D1 and Kerang (dry short grass) Run R24 (all from

Swinbank and Dyer (1968) Div. Met. Phys. Tech. Paper No. 17,

CSIRO, Aspendale, Australia), designated H and Ke, respectively;

the western Weddell Sea (snow-covered sea-ice) (kindly provided

by E.A. Andreas), designated W. Also shown are profiles from a

rotating wind tunnel (Run 2 of Caldwell et al. (1972)) (Geophys.

Fluid Dyn. 3, 125–160), designated,WT, and from direct numerical

simulation (the Re ¼ 1000 run of Coleman (1999) (J. Atmos. Sci.

56, 891–900), designated DNS, the only one plotted against zun=n
since flow is over a smooth surface. (The smooth-to-rough

conversion should use z0 ¼ 0:11 n=un.)
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100mand900m, togetherwith those from three other
sites (Upavon in southern England, Hay in south-east
Australia, and the north-east Atlantic Ocean), are
shown as the continuous curves in Figure 3 in
hodograph form to illustrate features of the classical
wind spiral. They are also plotted (heavy continuous
curve) as averaged normalized wind defects against
nondimensional height zjf j=un in Figure 4, together
with rotating wind-tunnel observations and nume-
rical simulations; similarity is broadly achieved (the
reader should note that the zero crossing of the u
component at zjf j=un 	 0:1 in Figure 4A is a
mathematical construction and has no physical
meaning.) For the atmospheric observations (based
on tracking balloons or from instrumented air-
craft), inner-layer winds below a height of about
zjf j=un 	 0:01–0.02 (corresponding to an absolute
height of about 30 to 50m) were rare, although
other experimental data for this height range are
plotted in Figure 2 in an alternative form. The
analytical curves (dashed) in Figures 3 and 4 corre-
spond to the two-layer analytical model to be dis-
cussed in the next section.

The Momentum Equations and the
Ekman Spiral – Simple Solutions

Single-layer PBL

Before considering numerical solutions to eqns [1] and
[2] using turbulence closure assumptions, and com-
paring these to the observations, we look at analytical
solutions based on that first developed by Ekman in
1905. He proposed a solution to the idealized laminar
momentum equations for the case of ocean currents
affected by wind and the Earth’s rotation. The
analytical solutionwas possible because themolecular
viscosity varies little throughout the upper oceans and
could be taken as constant. With this in mind, we can
combine eqns [1] and [2], and use the flux-gradient
relation with K taken as constant. Setting V ¼ uþ iv,
G ¼ ug þ ivg, where i2 ¼ �1, we can write eqn [7].

q2V
qz2

¼ if

K
ðV�GÞ ½7�

With boundary conditionsV ! G as z ! 1, andV ¼
0 at z ¼ 0, the solution to eqn [7] is the Ekman spiral,
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eqns [8a] and [8b], where g ¼ ½jf j=2K�0:5 is the
reciprocal of a scale height.

u

G
¼ cos

p
4

� �
� expð�gzÞ cos gzþ p

4

� �
½8a�

sign
v

G
¼ �sin

p
4

� �
þ expð�gzÞ sin gzþ p

4

� �
½8b�

The solution produces a surface wind with a cross-
isobar flow angle of 45�, somewhat larger than
observed (e.g., in Figure 3 the observed a0 varies
between 11� and 26�). Given its limitations, the
Ekman spiral gives a useful first approximation to
the wind profile throughout most of the boundary
layer, often referred to as the Ekman layer, but its
cross-isobar flow angle is too large and it does not give
a logarithmic law within the surface layer.

Two-layer PBL

A major improvement to the above solution utilizes a
two-layer PBL, with an outer layer of constant

Kð¼ kunh
nÞ above a thin surface layer of depth hn

within which K varies linearly with height. Equation
[7] is solved with the following conditions:

(i) V ! G as z ! 1.
(ii) At z ¼ hn, V, qV=qz, and t are continuous.

Solving the momentum equation for z > hn then gives
eqns [9a] and [9b].

u

G
¼ cos a0 �p

2 sin a0 expð�gZÞ cos gZþ p
4

� �
½9a�

sign
v

G
¼ �sin a0 þp

2 sin a0


 expð�gZÞ sin gZþ p
4

� �
½9b�

Z ¼ z� hn, and, for completeness, we note that for
z � hn, u ¼ ðun=kÞ lnðz=z0Þ and v ¼ 0. Further, using
the facts that s=r ¼ K qV=qz, and that in the surface
layer and at z ¼ hn, tx=r ¼ u2

n
and ty=r ¼ 0, it is

readily shown that u2
n
¼ G sin a0ð2jf jKÞ1=2. Since we
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shown are the rotating wind-tunnel data (continuous light curve, blue, see legend of Figure 1 for details); the two-layer analytical solution

withb ¼ 0:01 (long-dash curve, blue-green); numerical solutions fromBlackadar (1962) (J.Geophys.Res. 67, 3095–3102) usingK ¼ l2S
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expect the neutral PBL depth to scale with un=jf j,
we set hn ¼ bun=jf j, resulting in the important
relationship [10].

sin a0 ¼ ð2kbÞ�1=2 un

G

� �
½10�

Before describing wind profiles using eqn [9], we
revisit theA andB coefficients in eqn [6]. These can be
derived from eqns [9] and [10] to give A ¼ �lnðbÞ
�B, with B ¼ ðk=2bÞ1=2. For b ¼ 0:01 ð0:02Þ, A ¼
0:14 ð0:75Þ and B ¼ 4:47 (3.16), comparable with
observations. Variations of un=G and a0 with
surface Rossby number are shown in Figure 1 (dashed
curve) for b ¼ 0:01.

The wind profiles based on eqn [9], with b ¼ 0:01
and noting that gZ ¼ ð2kbÞ�1=2Zjf j=un, are plotted in
hodograph form in Figure 3 for values of a0 corre-
sponding to Rossby numbers for the four observing
sites. They are also shown in Figure 4 (long-dashed
curve) in the form predicted by eqn [4]. With b as the
only adjustable constant, the two-layer model gives an
improved simulation of the observed cross-isobar flow
and a very good representation of the observed
profiles.

Numerical Simulations of the Neutral
Boundary Layer

The analytical solutions of eqns [1] and [2] discussed
above give acceptable results for the idealized condi-
tions assumed and have been extended to more
complex conditions (e.g., diabatic and baroclinic),
where they perform surprisingly well, but they may
not be realistic for general application. One improve-
ment is to correct these results using numerical
solutions for secondary flow arising from helical roll
vortices. Another approach is to resort to numerical
solutions (see Boundary Layers: Modeling and Pa-
rameterization), as follows.

� Use of single-point first-order closure, which in-
volves the solution of eqns [1] and [2] with an
assumed relation forK.OftenK is defined in termsof
a mixing length, and with careful choice of K good
agreement can be obtained with observations
(A 	 0:1, B 	 5:1, see Figure 4). This approach is
acceptable for an idealized flow, such as is being
considered here, but often fails when the mixing is
not locally controlled, for example, in convective
conditions and for flow over irregular or heteroge-
neous terrain.

� Higher-order closure: (i) 1.5-order closure incorpo-
rates a dependence of K upon turbulent kinetic
energy (TKE), with a prognostic equation for
TKE, and an equation for l (the E–l model) or

the rate of TKE dissipation e (the E–e model); (ii)
second-order closure involves the full suite of
prognostic equations for turbulence second
moments (variances and covariances) and an equa-
tion for l or e. Standard versions of both 1.5-order
and second-order one-dimensional models give
a PBL that is too deep compared to atmospheric
observations (typically, A 	 1:1, B 	 2:5 with the
depth h 	 0:6un=jf j or higher). Agreement with
PBL wind profiles can be achieved, however, by
modifying the model constants or imposing other
conditions (see the modified E–e model results
in Figure 4).

� Large-eddy simulation (LES), which includes all
turbulence length scales between the ‘large eddy’
(usually taken to be about 50–100m) and the size of
the model domain. Smaller-scale turbulence, which
is important near the surface,must be parametrized.
Three-dimensional LES studies lack the expected
spiral form at low levels, and also produce profiles
that show a much deeper PBL than found in the
tuned single-point closures or observations (Figures
4 and 5). The reason is not certain, but may be due
to the effects on the observed PBL depth of low-
level stable stratification or baroclinity (see later).
Typically, LES gives A 	 1:2, B 	 2:3, and
h 	 0:5un=jf j.

� Direct numerical simulation (DNS), which includes
all turbulence scales up to the size of the model
domain. No subgrid-scale parameterization is re-
quired as in LES. LES is an approximate represen-
tation of an exact flow, while DNS is an exact
representation of an approximate flow. The advan-
tage of LESoverDNS is that high-Reflows typical of
the PBL can be simulated, whereas DNS is very
computer-intensive and at the time of writing is
limited to three-dimensional flowswithRe less than
1000 or so. It is, however, possible to extrapolate
certainDNS-generated quantities to higherReusing
theoretical arguments. Recent DNS results for flows
with Re 	 1000 have been included in several of
the figures; they give A 	 2:0, B 	 2:1, and
h 	 0:6un=jf j. For example, wind profiles are
shown in Figure 4, with both u and v components
behaving similarly to LES.

Reynolds Stress Profiles

Inferred stress profiles from the Leipzig, Hay, and
Upavon wind observations (whose smoothness is due
to the integrating nature of the analysis procedure),
and measured stresses from JASIN (Joint Air–Sea
Interaction experiment) have been averaged, and are
shown in Figure 5 in non-dimensional form, together
with data from the rotating wind tunnel, the Ekman
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two-layer model solution, and numerical solutions.
The second-order closure, LES, andDNS results imply
a much deeper PBL than that observed.

The Ekman two-layer results are based on tx=r ¼
K qu=qz and ty=r ¼ K qv=qz, using eqn [9] and asso-
ciated results. In fact, tx=ru2n ¼ expð�gZÞ cosðgZÞ and
sign ty=ru2n ¼ expð�gZÞ sinðgZÞ, giving excellent re-
sults when compared with observations and the
numerical models. The reasons may be several: (i)
the characteristic depth of 0:01un=jf j specifies the
depth of the surface layer and also specifies the
maximum in the K profile; (ii) the assumption that K
increases linearly with height within the surface
layer implies the existence of a logarithmic wind
law; (iii) the results are not too sensitive to K in the
upper PBL, so long as K does not continue to increase
with height.

PBL Depth

The depth of the neutral PBL is determined from
measured or simulated vertical profiles of mean wind
or stress, as the height at which themeanwind reaches
its geostrophic value or the level at which the stress (or
TKE) reaches zero or a specified small fraction (e.g.,
5%) of the surface value. It is expected to scale with
un=jf j. For example:

� The observed wind spirals in Figure 3 suggest an
approach to the geostrophic wind at
z 	 0:2–0:3un=jf j, consistent with the wind profiles
in Figure 4. The exceptions in Figure 4 are the LES
and DNS results (and second-order and unmodified
1.5-order closure results, not shown), where the
velocity defects approach zero at heights somewhat
greater than 0:3–0:4un=jf j.
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Figure 5 Profiles of normalized stress components plotted against nondimensional height – see Figure 4 for curve descriptions.

Observational curve (heavy continuous, black) is based on the average of the four observational data sets as in Figure 4, with individual

stress profiles based on wind observations at Leipzig, see Lettau (1950) (Tellus 2, 125–129); Upavon, see Caldwell et al. (1972)

(J.Geophys. FluidDyn. 3, 125–160);Hay, seeClarke (1970), (Q. J. R.Meteorol. Soc. 96, 91–114), all three inferred from integration of the

ageostrophic wind profile; and for JASIN on eddy-correlation aircraft observations (Nicholls (1985)Q. J. R.Meteorol. Soc. 111, 391–426).

Sample rms scatter of the four datasets is shownas horizontal bars. Also shownare the rotatingwind-tunnel data (Run 2) of Caldwell et al.

(1972) (light continuous curve, blue); the two-layer analytical solution with b ¼ 0:01 (long-dash curve, blue-green); the modified E–e
scheme, from Xu and Taylor (1997) (Boundary-Layer Meteor. 84, 267–287) (light dash-dot curve, green); second-order closure from

Wyngaard et al. (1974) (Adv.Geophys. 18A, 193–211) (short-dash curve, yellow); LES results fromAndren andMoeng (1993) (J. Atmos.

Sci. 50, 3366–3379) (heavy dash-dot curve, orange); and for the DNS results ðRe ¼ 1000Þ of Coleman (1999) (J. Atmos. Sci. 56,

891–900) (long-dash double short-dash curve, red).
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� The stress profiles in Figure 5, again with the
exception of LES, DNS, and second-order closure,
show the x-component reaching zero between
0:1un=jf j and 0:3un=jf j, and the y-component be-
tween 0:2un=jf j and 0:4un=jf j for the atmospheric
observations. LES, DNS, and second-order closure
stress values approach zero at greater levels,
0:5un=jf j or higher, for the y-component.

Measurement errors play a role in the ambiguity of
determining the topof the PBL.The velocity defect and
the stress near the top of the PBL are small quantities,
and experimental scatter is large. There is the added
complication of finite Re and curvature effects in the
wind-tunnel experiments. However, probably the
most important factor is the violation of the assumed
idealized conditions. We now turn our attention
to this.

Effects of Thermal Stability,
Baroclinity, Inertial Oscillations
and Secondary Flow

Thermal Stability and Diurnal Variations

Neutral stratification in the PBL is rare, particularly
over land where diurnal variations are significant. It
occurs over land, usually in high winds under cloudy
skies or briefly around sunrise and sunset under clear
skies, and over the ocean remote from land or regions
of strong horizontal gradients in sea surface temper-
ature. Even then, the quasi-neutral PBL is probably
found beneath a low-level inversion rather thanwithin
a deep adiabatic layer. It is likely that the four sets of
wind observations used earlier are so affected – the
Leipzig PBL was possibly weakly stably stratified, and
that over the north-east Atlantic (only 400m deep)
was located beneath a stable cloudy region whose
top at 1200m featured large vertical temperature
gradients.

Inertial Oscillations

The PBL wind field over land is rarely steady, and
even under constant synoptic conditions diurnal
forcing produces significant oscillatory responses
in the winds. We refer to eqns [1] and [2] to illustrate
this. Under steady conditions, there is a three-force
balance, but if one or more of these forces varies
in time, accelerations result and qV=qt is nonzero.
In the PBL over land, diurnal variations in the
frictional stress divergence lead to significant and
ubiquitous wind oscillations, usually referred to as
damped oscillations. Above the shallow nocturnal
boundary layer at night under clear skies, the com-
plete decay of turbulence can lead to undamped

oscillations, described simply by analytically
solving eqns [1] and [2] with the frictional term set
to zero. Advection of momentum, particularly in
the upper PBL, can also initiate significant wind
oscillations.

Baroclinity

The barotropic PBL ismore an exception than the rule,
since geostrophic wind shear ðG0) is common. The
four data sets used in our study were obtained
apparently under weakly baroclinic conditions – for
example, at Leipzig G0 	 2m s�1 per km, and in the
north-east Atlantic G0 	 1 to 2m s�1 per km at most.
The upper portions of the profiles from Hay (not
shown individually in Figures 4 and 5) show signs of
baroclinic influence. Numerical model studies reveal
the likely impact of baroclinity upon vertical profiles
of wind and stress in the neutral PBL, and the effects of
the above shears are likely to be minimal.

Secondary Flow

Theory indicates that an inflection point instability
can arise in neutral PBL flow, creating horizontal
roll vortices. Although the amplitude of the instabi-
lity is predicted to be a maximum under neutral
conditions, these vortices have not been observed in
LES or DNS results, leading to the speculation that
unstable thermal stratification may be required for
their initiation and maintenance. However, for wind
speeds greater than 7m s�1, secondary flow arising
from this instabilitymay be present in the atmospheric
observations if the PBL is not exactly neutrally
stratified.

Final Comment

Atmospheric observations of the idealized neutrally
stratified PBL serve as a reference point for assessing
theory and for evaluating and interpreting numerical
simulations. However, the complexities of the real
atmosphere seem to be so pervasive that observations
under these idealized conditions may be impossible to
obtain. Such complexities probably contribute to the
major differences, particularly in PBL depth, found
between the predictions from a variety of sophisticat-
ed models and observations.

Nomenclature

f Coriolis parameter (s�1)
G Geostrophic wind vector (m s� 1)

(components ug, vgÞ
h boundary layer depth (m)
hn Surface-layer depth (m)
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k von Karman constant
K Eddy diffusivity (m2 s� 1)
un Friction velocity (m s�1)
V Wind vector (m s� 1) (components u, v, w)
z Height (m)
z0 Aerodynamic roughness length (m)
a Cross-isobar flow angle
n Molecular viscosity of air (m2 s�1)
r Density of air (kg m�3)
t Reynolds stress vector (Nm�2)

(components tx,ty)

See also

Boundary Layers:Convective Boundary Layer; Modeling
and Parameterization; Observational Techniques In
Situ; Overview; Stably Stratified Boundary Layer; Surface

Layer. Large Eddy Simulation. Numerical Models:
Methods.
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Introduction

The planetary atmospheric boundary layer (ABL) is
observed using a great variety of techniques both
active and passive, employing radio, optical, and
acoustic energy. A variety of instruments have been
developed in response to the broad range of temporal
and spatial scales of interest in the ABL and the large
number of parameters that need to bemeasured. In this
article we cover remote sensing instruments, i.e., those
that measure parameters of a volume of air at
some distance from the instrument itself. Most ABL
remote sensing is done from the ground, although
some spaceborne or airborne instruments have some
boundary layer applications. Generally, however, ABL
observations require spatial resolution (horizontal
and vertical) that is unavailable from instruments on
satellites. We will discuss airborne lidar measure-
ments.

Atmospheric quantities and constituents (winds,
temperature, humidity, trace gases, etc.) interact with
electromagnetic and acoustic radiation in different
ways, but all have in common the fact that they

interact only weakly with such radiation. Therefore, a
primary challenge in the development of remote
sensing instrumentation is deriving useful data at
low signal-to-noise ratios.

Remote sensing measurements of the boundary
layer are used in a wide variety of applications. Air
quality research and operational measurements for air
quality, research into basic ABL physics, mesoscale
and storm scale meteorology, climate monitoring,
and aviation weather sensing are also important
applications.

Interesting boundary layer motions occur on scales
ranging over at least six orders of magnitude, from
the dissipative scale of order 1 cm to tens of kilo-
meters, although most measurements are of scales
between a few meters and a few kilometers. The
boundary layer itself ranges from approximately
100m to 3 km depth, and the motions that trans-
port energy and momentum are on the scale of
the ABL depth. The most important horizontal scales
are those of the underlying terrain and variations of
pollutant emissions. Different instruments and obser-
vational strategies are required to measure different
scales even over the range between nocturnal bound-
ary layers (B100m) and convective boundary layers
(B1km).

The remainder of this article discusses the quantities
to bemeasured in the ABL, and then covers the variety
of instruments and techniques available. While some
ABL remote sensing instruments are commercially
available, many are custom-built for research use.
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An article such as this will omit necessarily some
specific instruments, so we hope to provide a useful
overview of instruments and techniques and their
underlying principles.

Active and Passive Remote Sensing

Boundary layer remote sensing instruments fall into
two major categories: active and passive. Active
instruments emit electromagnetic or acoustic radia-
tion and detect the portion of that radiation returned
from the target volume of the atmosphere. Passive
instruments, on the other hand, detect radiation from
natural sources that is scattered or modified by the
atmosphere.

Active instrument categories are radar, lidar, and
sodar (q.v.). All are similar in principle, as reflected
by their names, which once were acronyms. In the
simplest case, radars, lidars, and sodars emit pulses of
radio frequency (RF), optical, or acoustic radiation,
respectively, and detect the very small fraction of each
pulse that is backscattered by the atmosphere. The
characteristics of the backscattered radiation carry
information about the atmosphere, and that informa-
tion differs depending on the wavelength and type
of radiation and therefore the ways in which the
radiation interacts with the atmosphere. These
interactions are referred to as scattering mechanisms.
The primary scattering mechanisms relevant to the
ABL are Bragg scatter from the fluctuations of the
acoustic and radio refractive index for sodar and
radar, respectively; Rayleigh scatter from small
objects for radar and from air molecules for lidar;
Mie scatter from aerosols for lidar; and Raman scatter
for Raman lidar. The distance (range) of the volume
from which the radiation is scattered is most often
measured from the round-trip travel time of the
radiation pulses.

The primary passive instrument type is the radiom-
eter. Radiometers measuring various quantities in-
cluding water vapor, temperature, and trace gases are
used in boundary layer research.

Quantities to be Measured

In the boundary layer, measurements of winds,
turbulence, temperature, humidity, trace gases,
and aerosol content and properties are needed. In
addition, derived quantities such as mixing height
(ABL depth) are also useful. Different instruments
and techniques have been developed to address each
of these quantities. The graphical presentation of
patterns of measured quantities, made possible by
the continuous nature of most remote sensing
measurements, has led to important insights.

For wind measurements, radar wind profilers,
Doppler sodars, and Doppler lidars are used. Given
sufficient temporal and spatial resolution, these in-
struments can also measure turbulence.

Temperature is remotely sensed by radio acoustic
sounding systems (RASS), a hybrid radar and acoustic
technique. InRASS, awindprofilermeasures the speed
of a propagating acoustic disturbance and the tem-
perature is derived from that speed of sound. Radi-
ometers also measure temperature.

Humidity or water vapor concentration measure-
ments are made by differential absorption lidar
(DIAL) or Raman lidar techniques. The DIAL tech-
nique at different wavelengths can also measure
concentrations of trace gases such as ozone.

Aerosol backscatter and extinction are measured by
backscatter lidars. Most Doppler lidars and DIALs
also produce backscatter measurements.

Mixing height or ABL depth, a key quantity for
most ABL operations and research, can be detected by
several techniques. Wind profiling radar reflectivity
exhibits a peak at the ABL top which has been used
extensively to detectmixing height. Aerosol, humidity,
and trace gas profiles from lidars can also indicate the
ABL depth.

Integration of sensors can yield better results than
individual sensors alone. The entire boundary layer
cannot always be covered with sufficient resolution by
a single sensor, so combining profiles from, for
example, a sodar and a wind profiler may be useful.
This is especially true for mixing depth over the full
diurnal cycle. As another example, the height resolu-
tion of radiometric temperature measurements can be
improved by including temperatures measured by
RASS in the retrieval process.

Active Remote Sensing Techniques

Sodar

Sodars emit sound waves and detect the backscattered
acoustic signal to measure atmospheric structure and,
in the case of Doppler sodars, velocity. Sodar was
gradually developed during the 1960s and came into
routine use in the 1980s. Today sodars are used for
operational monitoring of winds above normal tower
heights at power plants and other pollution sources,
and are commonly included in boundary layer re-
search campaigns. Sodars are the best available
instruments for routine monitoring of the lowest
levels (below B200m) of the boundary layer, includ-
ing the nocturnal boundary layer. A typical sodar is
shown in Figure 1.

The simplest sodars measure only the intensity
of backscatter from the turbulent structure of
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temperature and velocity in the boundary layer. The
time and height variations of turbulent structure can
be interpreted to elucidate a variety of boundary layer
phenomena. Doppler sodars add the capability of
measuring the Doppler shift of the backscattered
acoustic signal and convert the Doppler shift to a
velocity along the direction of the acoustic beam.
Beams in different directions are emitted and detected
sequentially to produce the full three-dimensional
(3D) wind vector. Three or five beams are commonly
used: in the case of three beams two are separated by
901 in azimuth and aimed 15–201 off the zenith, and
the third is a vertical beam; in the case of five beams
four are separated by 901 in azimuth and the fifth is
again vertical. Different beamdirections are generated
either by separate antennas or by a phased array
allowing electronic beam steering.

Sodars generally measure in the lowest few hundred
meters of the atmosphere, although some are capable
of maximum ranges of a kilometer or more. The
limitation on range is due to the rapid attenuation of
the acoustic signal in the atmosphere, which is highly
variable and may be as much as 40 dB km� 1. Sodars
operate at frequencies between a few hundred hertz
and a few kilohertz. The operating frequency (wave-
length) is chosen to optimize among range resolution,
maximum range, and antenna size. The minimum
sampling time on each beam is determined by the
maximum range and the sensitivity, and is normally a
few seconds. A few tens of samples are commonly
averaged to improve the quality of the wind estimates,
so the 3D wind vector is available every 10–30min.
Range resolution varies from a few meters up to 20m
or so. Some sodars use multiple frequencies.

There are some hundreds of sodars installed at
monitoring sites around the world as of 2002, and
several manufacturers provide off-the-shelf systems.
In addition, at least tens of systems are in use by
research groups and the development of improved
sodar techniques continues.

Quality issues for sodar data include sensitivity to
ambient noise and to noise from rain hitting the
antenna. Sodars are also sometimes susceptible to
ground clutter, strong spurious signals from nearby
objects.

Radar

Specialized radars are an important category of
boundary layer remote sensing instrumentation. Tra-
ditional weather radars rely primarily on scattering
from hydrometeors, although modern systems have
sufficient sensitivity to sense clear-air returns. Bound-
ary layer remote sensing is most commonly done with
wind profiling radars (profilers) (q.v.) which have
comparable sensitivity to weather radars at much
lower cost, but have reduced scanning flexibility and
coarser time resolution. A boundary layer profiler is
shown in Figure 2.

Boundary layer wind profilers evolved from meso-
sphere–stratosphere–troposphere (MST) radars (q.v.)
that were developed for investigations of the middle
and upper atmosphere. The original impulse for
boundary layer profiler development was the need to
fill in wind measurements at heights below the
minimum range of the MST radar. The first ABL
profiler was developed at the NOAA Aeronomy

Figure 1 Sodar with three separate antennas at a power plant in

Germany. (Photo courtesy of METEK Mestechnik GmbH.)

Figure 2 The 915MHz wind profiler of the NOAA Aeronomy

Laboratory at Chebogue Point, Nova Scotia, for the 1993 North

AtlanticRegionalExperiment. Thecylindersare theRASSacoustic

sources. The flaring structure is the clutter fence, designed to

reduce ground clutter. The 2� 2m phased array antenna is at the

base of the clutter fence inside the structure.
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Laboratory by Warner Ecklund and colleagues in
the mid-1980s. Since then, a large number of
similar profilers have been built and a number
of variations have been explored. Most ABL profilers
are pulsed Doppler radars, but a few frequency
modulation continuous-wave (FM/CW) systems are
also in use.

Boundary layer profilers operate at about 915
MHz in North America and 1290MHz in Europe
and Asia, the frequency being determined by the
availability of bandwidth in the region. The basic
beam geometry is similar to that described above
for sodars. All profilers have Doppler capability.
Beams in different directions are emitted and
detected sequentially to produce the full 3D wind
vector. Three or five beams are commonly used: in the
case of three beams two are separated by 901 in
azimuth and aimed15–201off the zenith, and the third
is a vertical beam; in the case of five beams four are
separated by 901 in azimuth and the fifth is again
vertical. Different beam directions are generated by
separate antennas or by a phased array allowing
electronic beam steering. An individual sample is
acquired approximately once per second, and 10–50
samples are averaged before going on to the next
beam. An estimate of the full 3D wind vector is
typically available every 1.5–5min, but usually these
are also averaged to reduce noise, so themost common
time resolution is 20–60min.

Wind profilers measure 3D winds by detecting
the motion of refractive index fluctuations in the
clear air at the scale of half the radar wavelength.
In the boundary layer, the refractive index fluctua-
tions are dominated by the fluctuations of humidity.
Therefore, the intensity of the backscattered radar
signal is essentially proportional to the humidity
gradient and the turbulence intensity. This relation-
ship is used to find the height of the convective
boundary layer. Wind profilers today are generally
not suitable for measuring the structure of the
stable ABL because their minimum range and range
resolution are too large. Estimates of turbulence
intensity are made either from the variance of the
time-series of wind velocities in the vertical beam,
from the width of the Doppler spectrum, or a
combination of the two.

Boundary layer profilers generally use a range
resolution of 60–100m depending on the choice of
operating modes. Better resolution results in reduced
maximum range due to reduced average power. The
minimum range of most ABL profilers is 100–150m,
and the maximum range depends strongly on the
ambient conditions. The maximum range is always
sufficient to see the entire convective boundary layer
over land, at least 4 km in summer and in the tropics,

but as little as 1 km in continental winter when
humidity and turbulence are both lacking. As men-
tioned previously, time resolution can be as good as a
few minutes, but generally is 20min or more. An
example of data from a boundary layer profiler is
shown in Figure 3.

The number of boundary layer profilers in existence
is not exactly known, but is probably between 40 and
100 as of 2002. Most of these are used in field
campaigns for basic boundary layer physics and air
quality research. Some are in fixed or long-term
deployments. Winds from profilers are used to define
transport of pollutants and to explore the flow
patterns due to coasts and storms. The convective
boundary layer height derived from profilers is a key
quantity in the analysis of pollutant plumes from
urban areas and power plants. Winds and ABL height
from networks of profilers have been used for basic
studies of the spatial and temporal structure of the
boundary layer. Profilers have also been deployed for
climate monitoring and for monitoring of the winds
near airports.

While profilers are designed to detect backscatter
from the clear air, they are also sensitive to other types
of scatter. Birds, insects, and hydrometeors are impor-
tant scatterers and sometimes dominate the clear-air
signal. Most profiler systems are equipped with
hardware and software for quality control, but users
of profiler data must take care to avoid misinterpre-
tation of contaminated data. Another quality issue
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with profiler data is the so-called ground clutter, i.e.,
signals from ground-based objects (e.g., trees) that
may be seen by a sidelobe of the antenna. As with any
radar, interference from other radio sources may be an
issue.

In addition to thewell-established profilers towhich
most of the above description pertains, several exotic
radar systems have been built for ABL research. Such
systems often use spaced-antenna or interferometric
techniques. At least one FM/CW system exists that
produces extremely high-resolution pictures of the
boundary layer. Another research system in Australia
measures the boundary layer at 50MHz.

Operational wind profiling radars operating at
lower frequencies, including the 449MHz profilers
of the NOAA Profiler Network, have sufficient reso-
lution for some boundary layer studies. Weather
radars may also provide some useful boundary layer
information.

Radio Acoustic Sounding Systems

Radio acoustic sounding systems (RASS, q.v.) are
often attached to wind profilers. In RASS, an acoustic
signal is emitted with a wavelength one-half the radar
wavelength (frequency 2–3 kHz for most ABL pro-
filers). The radar measures the speed of sound, from
which the (virtual) temperature can be derived
straightforwardly to a reasonable degree of accuracy
and precision (o0.5K accuracy and precision for half-
hour averages). A second type ofRASS also exists as an
accessory to sodars, in which case the radar is a simple
continuous-wave type. The range resolution and
minimum range of RASS are the same as those of the
profiler or sodar to which it is attached, but the
maximum range is limited by advection of the acoustic
signal out of the radar beam when moderate to strong
winds blow, and by the acoustic attenuation, which
can be very large at typical RASS frequencies.

Lidar

Lidars are active remote sensing instruments that are
well suited for ABL research. They measure many
important quantities, such as wind speed, aerosol
backscatter and extinction, water vapor, and other
trace gases, and they typically cover the entire depth of
the ABL. Lidars use lasers to emit short light pulses
into the atmosphere. The small fraction of the light
backscattered by the atmosphere is detected by
a receiver typically consisting of a telescope, photo-
detectors, and data acquisition electronics. For lidars
used in ABL research the relevant scattering
mechanisms are Rayleigh and Raman scattering
from air molecules and Mie scattering from aerosol
particles.

The first lidars were built in the 1960s soon after the
invention of the laser, and extensive work went into
developing lidar remote sensing techniques. In the
1970s and 1980s, with the advent of lasers that could
be tuned over a wide range of wavelengths, the
application of lidars in atmospheric remote sensing
became more widespread. The 1990s saw increased
use of solid state lasers as lidar transmitters and a trend
towards more compact and robust lidar systems.
Lidars that are in use today operate at wavelengths
from the near ultraviolet to the far infrared regions
of the electromagnetic spectrum. Most lidars are
still prototype, research-grade instruments. In recent
years, however, a number of lidar systems have been
developed that can be operated unattended over
extended time periods and lend themselves to long-
term monitoring applications. The number of lidar
systems used in ABL research is probably somewhere
between 50 and 100 as of 2002,most of themoperated
by research institutions. A specific type of lidar, called
a ceilometer, is much more common with at least
several hundred units in existence today; however,
their application is generally not research oriented.
Ceilometers are compact, unattended, low-power
lidars that are mostly operated at airports to measure
routinely cloud base height.

The majority of lidar systems used for ABL research
are installed on mobile platforms, such as trailers,
ships, or aircraft, so they can be easily deployed in
different locations. Figure 4 shows a lidar system
housed in a seatainer andmounted on a trailer that can
be towed to the deployment site. The scanner on top of
the seatainer enables pointing the lidar beam in any
direction.

In response to measurement needs, various types of
lidars have been developed that are distinctly different

Figure 4 Transportable lidar of NOAA Environmental Technol-

ogy Laboratory in a seatainer with a roof-mounted scanner.
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in terms of the detection technique and scattering
mechanism they employ. Most ABL lidars detect
elastically backscattered light from air molecules and
aerosol particles. Among this group of lidars one
distinguishes direct detection lidars and heterodyne
Doppler lidars. Direct detection lidars measure the
intensity of the backscattered light, while heterodyne
lidars use coherent mixing with a reference beam to
detect the Doppler shift between the emitted and
backscattered light. The Doppler shift is a measure of
the radial wind speed along the lidar beam direction.
Both direct detection andDoppler lidars can be used to
infer information about aerosols in the ABL, partic-
ularly aerosol backscatter and extinction. A direct
detection lidar that is used solely for this purpose is
often referred to as a backscatter lidar. DIALs are
direct detection lidars that emit laser light at two or
more wavelengths. These wavelengths are chosen so
that they are absorbed to a different degree by an
atmospheric trace gas. If the absorption cross-section
of the trace gas is known, its concentration can be
inferred from the intensity difference of the backscat-
tered light at the various wavelengths. DIALs are most
commonly used to measure water vapor and ozone
concentration, but other trace gases, such as sulfur
dioxide and various hydrocarbons, have been detected
with DIAL as well. As an example of the kind of
information a DIAL system can provide, Figure 5
shows a time-height cross-section of ozone mixing
ratio measured with an airborne ozone DIAL. The
high ozone concentrations in the center of the plot

indicate the extent of the urban pollution plume that
had developed on 12 July 1995 over Nashville, TN. In
contrast to direct detection andDoppler lidars,Raman
lidars detect the fraction of the emitted light that is
Raman scattered by air molecules or trace gases. The
Raman scattered light is shifted inwavelength, and the
magnitude of the shift dependson the scatterer.Raman
lidars are used primarily to measure humidity profiles
by detecting the Raman scatter of water vapor
molecules in the atmosphere. Raman lidars can also
be employed to measure aerosol extinction from the
Raman scattered light of oxygen or nitrogenmolecules
(for which the concentrations are known).

Time and spatial scales of lidar measurements in the
ABL vary, depending on themeasured variable and the
type of lidar used. In the following, time and range
resolutions are given that can be achieved with state-
of-the-art, research-grade lidar systems. Profiles of
aerosol backscatter can be measured with time and
range resolutions as low as 0.1 s and 3m, while wind
speeds can be retrieved at resolutions of about 1 s and
30m. The DIAL technique requires taking the deriv-
ative of the measured signals with respect to range.
Therefore, higher signal-to-noise ratios are necessary
than for wind speed or aerosol backscatter measure-
ments, requiring longer averaging times and coarser
range resolution. Time and range resolutions of ABL
water vapor or ozone measurements that can be
achieved with DIAL are on the order of 10–60 s and
100m, respectively. Due to the low Raman scattering
cross-sections, daytime Raman lidar measurements in
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the ABL generally require averaging over several
minutes and yield range resolutions of about 100m.
At night, without interference from solar background
light, Raman measurements are comparable to DIAL
measurements in terms of their resolution. The max-
imum range of lidars used in ABL research is in most
cases sufficient to cover the entire ABL and the portion
of the free troposphere immediately above the ABL.
The minimum range is typically on the order of a few
hundred meters. With a scanning lidar the altitudes
below minimum range can be probed by pointing the
beam a few degrees above the horizon. Certain
meteorological conditions restrict the useful range of
lidar. Lidar measurements in or beyond optically thick
clouds (such asABL cumulus or stratus) or in dense fog
are not possible because the lidar signals are scattered
and absorbed within the first tens of meters. During
precipitation events lidar operation is not useful and
may be impossible.

The measurement capabilities of lidars make them
valuable tools in many ABL research areas. Profiles of
aerosol backscatter, humidity, or trace gas concentra-
tions measured with lidar can be used to infer the ABL
height, which is a key parameter in ABL research. Due
to the high time and range resolution that can be
achieved with lidar, it is possible to investigate
turbulence statistics in the ABL, including third- and
fourth-order moments. Their narrow beamwidth and
shallow-angle scanning capabilities make lidars well
suited to provide detailed information about the
shallow nocturnal ABL. Air quality research, in
particular the distribution and transport of pollutants
and fine particles, is another important application.
Other research areas where lidar has made important
contributions include the study of flows in complex
terrain and the measurement of trace gas fluxes by
using collocated DIAL and Doppler lidars.

Passive Remote Sensing Techniques

Microwave Radiometry

A radiometer, either microwave or infrared, measures
the noise power emitted by the atmosphere, with very
accurate, highly sensitive, and well-calibrated radio
receivers. With all passive techniques, there are two
ways of measuring data from which vertical profiles
can be determined: multispectral andmultiangular (or
both). At a given frequency and viewing angle,
atmospheric thermal emission, expressed as bright-
ness temperature Tb or radiance, is the weighted
average of temperature, water vapor, and cloud liquid
profiles. Each atmospheric layer contributes toTb with
a contribution or weighting function that depends on
its temperature, local absorption coefficient, and the

path absorption from the layer to the receiver. By
varying the contribution of a layer by changing the
frequency or angle at which the emission is observed,
information about the layer can be obtained. Howev-
er, in contrast to ranging devices, such as radar and
lidar, well-defined layers are not derived, and mathe-
matical retrieval techniques are required to derive
profiles or parameters representing the medium. Nev-
ertheless, current retrieval techniques applied to well-
calibrated radiometric data have produced excellent
data for monitoring of boundary layer temperature.

There are two major tropospheric gases that emit
energy in the microwave region. Molecular water
vapor emits energy due to its rotational spectral line at
22.235GHz; molecular oxygen emits because of a
rotational band that is centered around 60GHz and
extends from 50 to 70GHz. Because of the relatively
weak absorption of the water vapor line, the emission
near 22.235GHz comes from the entire troposphere,
and hence only integrated quantities, such as precipi-
table water vapor, can be determined. In spectral
window regions, such as 30 or 90GHz, emission from
clouds can be measured to provide another integrated
measurement – liquid water path. However, near the
center of theO2 band, emissionmeasurements contain
information about the vertical temperature profile in
the first 500m above the ground. Here, we will
concentrate primarily on techniques using O2 band
emission.

Starting in the early 1980s, the NOAA Environ-
mental Technology Laboratory (ETL, formerly the
Wave Propagation Laboratory) deployed a six-
frequency vertically viewing radiometer with four
frequencies in the O2 band to measure temperature
and two additional frequencies to measure water
vapor and cloud liquid. This instrument provided
excellent measurements of temperature profiles in the
lowest 500m, but was unable to resolve elevated
thermal inversions above a nominal 500m altitude.
More recently, an 11-frequency radiometer has been
developed commercially in the US and is now being
evaluated for measuring temperature in the first two
kilometers. Improvements in radiometric technology
make this an attractive instrument for future applica-
tions. As of 2002, about 3–5 of these instruments are
being operated on a research basis.

Angular techniques for measuring emission were
pioneered, again byNOAAETL in the early 1970s and
continued by Russian scientists in the 1990s. Devel-
opment of this kind of radiometer has continued in
Russia and the US and numerous applications to
boundary layer studies have been published. The
technique consists of measuring atmospheric emis-
sion at different angles in a wavelength band that
exhibits relatively high atmospheric attenuation. The
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radiometer operates at 60GHz (wavelength 5mm)
near the peak of the strong oxygen band, has a 61 beam
width, and can yield data on a 1 s basis. In this
frequency region, the radiation in the horizontal
direction can be used as a reference level since the
brightness temperature (Tb) is essentially equal to the
air temperature at the measurement height. Thus, an
accurate air temperature measurement provides a
calibration of the radiometer offset. An independent
measurement, such as a laboratory blackbody refer-
ence load, or calculations of Tb from radiosondes, is
necessary to determine the radiometer’s gain. From the
downwelling radiation at different elevation angles,
atmospheric air temperature profiles can be obtained.
The vertical resolution of the retrieved profiles is a
function of altitude, and ranges from about 10m near
the surface to about 300m at 500m altitude. Rms
errors are typically less than 0.5K below 500m. An
example of temperature structure derived from a
scanning radiometer when it was operated in Barrow,
Alaska, is shown in Figure 6. Because of the simplicity
(portability) of the instrument and the extremely
flexible characteristics, in the last few years it has
been deployed on airborne, ship-based and ground-
based platforms. From 10 to 20 of these instruments
are now (2002) operating on a research basis.

Combined Microwave and Infrared Scanning
Radiometers

In an ocean environment and if the radiometer is
scanned in a complete 3601 scan, both temperature

profiles and sea–air temperature difference can be
measured. This technique also originated in Russia
and has been tested successfully in three separate
ocean experiments. Recently, a variation of the tech-
nique has been developed, in which two scanning
radiometers (one operating at millimeter wavelengths
and the other at infrared wavelengths) were both
deployed on the same platform. The infrared wave-
length region was chosen to have similar atmospheric
absorption structure so that when the two instruments
were viewing the atmosphere, similar temperature
profile information could be obtained.However,when
the two instruments were viewing the ocean surface,
the infrared emission originated from a near-black-
body surface, while the microwave emission originat-
ed from a surfacewith an emissivity of about 0.5.With
suitable parameter retrieval methods, both techniques
yield measurements of air–sea temperature difference
of about 0.3K rms. A picture of the two scanning
radiometers is given in Figure 7.

Fourier Transform Infrared Radiometry

During the 1990s, a robust and powerful technique for
monitoring both the temperature and water vapor
structure of the atmosphere was developed by the
University ofWisconsin (UW). The basic instrument is
a commercially available Fourier transform interfero-
metric radiometer and the total UW system, including
calibration and data processing software, is called the
atmospheric emitted radiance interferometer (AERI).
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TheAERImeasures the downwelling infrared spectral
radiance of the atmosphere in the spectral range from
500 to 3300 wavenumbers (cm�1) or 20 to 3 mm in
wavelength. The spectral resolution is 1.0 cm�1, the
instrument field-of-view is 1.31, and calibrated sky
radiance is produced every 10min. Using profile
retrieval techniques, temperature and humidity
profiles, from the surface to 1.5 km, can be derived
from the radiance data with an accuracy of better than
1.5K rms in temperature and an rms accuracy of less
than 2.5K in dewpoint temperature. TheAERI is now
operated on a continuous basis by the US Department
of Energy’s Atmospheric Radiation Measurement
Program at their Southern Great Plains site in Central
Oklahoma, at the North Slope of Alaska/Adjacent
ArcticOcean site near Barrow,Alaska, and two sites in
the tropical Western Pacific (Manus Island, in Papua
New Guinea, and Nauru Island). Perhaps 10 of these
are operated on an operational basis and another 10
for research as of 2002.
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Introduction

Weusually refer to in situmeasurements as thosemade
from some platform anchored to the surface, or in the
case of the deep ocean from a ship or buoy. Instru-
ments located on the surface but sensing the atmos-
pheric boundary layer (ABL) remotely are not
included. Over land the ABL reaches a height of
between 1 and 3 kmduring the day, collapsing to a few
hundred meters at night; the marine boundary layer is
typically 500 to 1000m day and night. The region
sampled by in situ techniques is mainly in the
atmospheric surface layer (ASL). This corresponds
roughly to the lowest 10% of the ABL, and its
characteristics are influenced strongly by the nature
of the surface.

In situ measurements provide data for operational
weather forecasting, environmental monitoring, val-
idation for models and remotely sensed observations,
and various research topics. The latter include studies
of atmospheric structure and transport processes,
agricultural and forest meteorology, pollution and
climate change. Most applications require measure-
ments of the state variables (temperature, humidity,
andpressure),wind speed and direction, incoming and
outgoing radiant energy, rainfall, and evaporation.
Determination of the fluxes of sensible and latent heat,
and of momentum, is also a critical objective of many
in situ measurement programs.

This article first outlines the theoretical framework
of the ASL, which often influences the observations
required, and then the sensors commonly used tomake
the measurements. This is followed by descriptions of
a few different types of field site and some practical
aspects of deploying instruments and recording the
data.

The Atmospheric Surface Layer

To set atmospheric transfer processes within a frame-
work of classical fluid mechanics and thermodynam-
ics, the starting point has been a flat and uniform
earth’s surface. Many experiments have taken place
over such ‘ideal’ or one-dimensional sites. This article
provides a brief and necessarily simplified account of
the results, to introduce the quantities whose meas-

urement is considered here. Full details can be found in
the works listed under Further Reading.

The defining characteristics of the ASL are its
buoyant stability, the vertical variation (or ‘profiles’)
of wind speed, temperature, humidity, and the related
vertical fluxes. The latter (so-called eddy fluxes) are
given by

t ¼� rw0u0

ðthe flux of momentum; or surface stressÞ; ½1a�

H ¼rCpw0y0

ðthe flux of sensible heatÞ; and ½1b�

E ¼rw0q0

ðthe flux of latent heat; or evaporationÞ ½1c�
r and Cp are density and isobaric specific heat of air,
w0, u0, y0 and q0 are fluctuations from the mean of
vertical and horizontal wind, and of temperature and
specific humidity. The overbar indicates a time aver-
age of the particular product. Within the ASL over a
uniform surface, the fluxes may be assumed constant
with height.

The most common measure of thermal stability is
based on the relative importance of mechanical and
buoyant forces in production of turbulence kinetic
energy (TKE); i.e. some function of the ratio of eqn
[1a] divided by eqn [1b]. Defining a scaling velocity
un ¼ t=rð Þ1=2 and a buoyancy parameter g=T, where g
is gravity and T absolute temperature, these form a
length scale L ¼ �u3

n
=½kðg=TÞw0y0�; k is a constant

(E0.4). The Monin–Obhukov similarity theory
(MOST) adopts the hypothesis that, at height z in
the boundary layer, flux–gradient relationships and
turbulence parameters are universal functions of z=L.
TheseMOSTassumptions have been verified by many
field experiments.

Wind increaseswith height in the surface layerwhile
temperature decreases during daytime and increases at
night (the nocturnal inversion) in response to the sign
of the surface heat flux. MOST has nondimensional
forms for the vertical wind and temperature gradients:

fm ¼ kz
un

qu
qz

and fh ¼ kz
yn

qy
qz

½2�

respectively, where fm and fh are functions of z=L,
and yn ¼ w0y0=un is a scaling temperature. As an
example, the variation of wind speed with height
is given by integrating the first of these gradient
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equations, to obtain

uðzÞ ¼ ðun=kÞ ln ðz=z0Þ � cm½ � ½3�

The integration constant, z0, is known as the surface
roughness length, and cm is a stability function. It
follows that the wind variation with height is roughly
logarithmic (exactly so in neutral conditions), and
this is also true of the scalar quantities, �yy and �qq. Finally,
we note that the relationship between fluxes and
gradients can be expressed in terms of a turbulent
diffusivity,

Fw ¼ �Kw
qw
qz

½4�

where Fw is the flux of constituent w (momentum, heat,
or a trace gas) and Kw is its turbulent exchange
coefficient, obviously a function of z=L.

Atmospheric Sensors

General Characteristics

There are often several choices of sensor for each
variable, the most suitable for a particular application
depending on several factors, including the accuracy
and resolution required, frequency response, and
overall convenience of operation. Sensors evolve
continuously in the research environment, either
testing new physical principles of measurement or
else to quantify some newly significant entity (e.g., a
‘greenhouse’ gas).

Considerations of frequency response highlight two
categories of sensor, which we may call slow and fast.
Atmospheric variables fluctuate on time scales from
below0.1 s to several hours. Time-averaging (over 15–
30min) is often required to reduce unsteadiness, so
slow-response sensors are adequate to determine basic
mean variables, such as �uu, �qq, or �yy, and their vertical
profiles. A sensor responds to a step change expo-
nentially, the time taken to reach (1� 1=e;� 0:632) of
the final value being its time response. A slow sensor
may have a time response of many seconds. Fast
sensors are required when the turbulent fluctuations
themselves are of interest, either for studies of atmos-
pheric structure or to determine the surface fluxes by
measuring w0, u0, y0, q0 in eqn [1]. For this, frequency
response of at least 10Hz is needed.

The following sections describe first the most
common slow-response sensors for atmospheric vari-
ables, and then some fast-response instruments. Figure
1 shows an array of instruments mounted at the top of
a 30m tower, part of the Ozflux network (see below).
Sensors described in the text are identified by their
letter.

Temperature

Atmospheric temperature can be measured with mer-
cury-in-glass thermometers (still used operationally
by weather observers), platinum resistance thermo-
meters (PRTs), thermistors, and thermocouples. The
last three lend themselves to automatic data logging.
PRTs are very stable, and with careful calibration can
achieve an accuracy of about 0.011C. Thermocouple
systems have low output voltage, and for absolute
measurement require a reference ‘cold’ junction.
Thermistors are semiconductor devices with higher
sensitivity to temperature changes than either of the
above, but at the expense of nonlinearity and greater
self-heating than platinum elements. Formerly, they
were prone to uncertainties of stability and calibra-
tion, but interchangeability of70.11C is nowpossible.

Both thermocouples and PRTs can be easily config-
ured for differential measurement, which can improve
accuracy when measuring profiles or the wet-bulb
depression of a psychrometer (see the next section). To
reduce errors from solar radiation, these thermome-
ters are ideally mounted inside a double-wall heat-
reflecting shield andhave ambient air drawnover them
(A in Figure 1).

Humidity

Atmospheric humidity is variously specified by the
partial pressure of water vapor (e, in hPa), vapor
density (gm� 3), specific humidity (q, g/g ofmoist air),
or relative humidity (RH ¼ 100e=es). The relationship
between them can be found in standard texts. es is
the liquid water saturation vapor pressure at air tem-
perature, givenapproximatelyby the empirical equation

es ¼ 6:106 fexp ½17:273T=ðT þ 237:3Þ�g ½5�
whereT is Celsius temperature. At a particular ambient
humidity, reducing air temperature reaches a point on
theT � es curve (eqn [5])where the air is saturated.This
gives us the principle of the dew point hygrometer. Its
central component is a mirror maintained, by optical
and electronic feedback, at the temperature where
moisture or ice just condense on its surface. It is often
considered an absolute instrument, and used as a
secondary standard to other sensors.

The traditional instrument for atmospheric humid-
ity measurement is the psychrometer, consisting of a
pair of thermometers, one being covered with a moist
wick. Air drawnover the thermometers evaporates the
moisture, cooling thewick until the evaporation rate is
in equilibrium with the vapor content of the air. For
given humidity this wet-bulb depression, T � Twð Þ, is
known from thermodynamic theory, leading to the
psychrometer equation. The form specified by the
World Meteorological Organization (WMO) for
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the Assman psychrometer (a particular design of
instrument with mercury-in-glass thermometers) is

e ¼ es � 0:000 653

� 1þ 0:000 944Twð Þ T � Twð ÞP ½6�

where e, es, and atmospheric pressure, P, are in the
same units. With PRTs in a differential bridge,
70.011C is possible for T � Twð Þ. It is crucial to
provide adequate airflow over the thermometers to
ensure full depression. With care, accuracy of
0.05 g kg�1 is possible. For Assman psychrometers,
0.20 g kg�1 is more realistic.

Thin-film polymerswhich absorb or desorbwater as
the relative humidity changes afford a simpler humid-
ity sensor. The polymer forms the dielectric of a
capacitance in a circuit which provides an output
proportional to relative humidity. Early instruments
often failed at very high humidity, but recent develop-
ments have overcome this problem and have greatly
improved their accuracy and stability. Conversion to
mixing ratio, specific or absolute humidity requires the
air temperature around the dielectric, usually meas-
ured with a colocated PRT. These temperature/RH
sensors are screenedandventilated in the samewayas a
psychrometer. The best accuracy quoted is around
70.3% RH (or70.05g kg� 1 at 201C and 70%RH).

Wind Speed and Direction

For average wind speed and/or direction over some
time period, cup (or propeller) anemometers andwind
vanes are usually the most convenient. Operational
designs must withstand continuous exposure to

stormy conditions, but there are also ‘sensitive’
instruments intended for research work. Apart from
mechanical strength, the difference is reflected in their
starting speed and distance constant (response time
converted to run ofwind).A sensitive cup anemometer
will start from rest in a breeze of 0.3m s� 1 and have a
distance constant less than 1m.

For best accuracy (typically 1%) cups must be
calibrated individually, although calibration in the
steady horizontal flow of a wind tunnel can lead to
uncertainty. In a gusty wind, cup anemometers over-
estimate for two reasons: the rotor responds more
quickly to an increasing wind than to the reverse, and,
in a wind gust with a vertical component, shielding by
the upwind cup is reduced. A propeller has poor
‘cosine’ response (to off-axis wind direction), but the
error is usually minimized by mounting it on the front
of a wind vane. A cup-anemometer–wind-vane pair
are oftenmounted at opposite ends of a horizontal bar
(B and C in Figure 1).

Pressure

Aknowledge ofmean atmospheric pressure in theASL
is often needed, in eqn [6] for example, to calculate air
density in eqn [1], and to convert between the various
definitions of humidity. Pressure varies with elevation
above sea level and slowly with synoptic changes. For
most purposes, the pressure reported at 3-hourly
intervals by the nearest weather forecast station is
adequate. The WMO target accuracy for pressure
measurement is 70.1 hPa. It is read from either the
traditional mercury column barometer or an accurate
aneroid instrument.

Figure 1 An array of meteorological research instruments at the top of a 30m tower, part of the ‘Ozflux’ long-term climate monitoring

network in Australia. (Photo:rFrank Bradley.)
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Rainfall

Rainfall, particularly during convective storms,
is perhaps the ‘patchiest’ of all meteorological
variables. Single point measurements are generally
less relevant than area averaged values, which may
be estimated over land with a network of surface
rain gauges. At sea this is not feasible, and while
spatial rainfall patterns may be obtained by ship-
mounted radars these must be calibrated by a surface
measurement.

Traditional rain gauges measure the rain falling
into a funnel of known area. For automatic record-
ing either a weighing system is used or a tipping
bucket rain gauge. In this, the funnel discharges
to a pair of buckets in a seesaw arrangement
which flips over at every 0.1mm of rainfall. Another
system, often used on ships, has a reservoir which
fills to its capacity (about 50mm of rain), when it
siphons automatically and starts filling again. An
electronic sensor keeps track of the level of water
in the reservoir. All funnel gauges lose catch in
strong winds, when the gauge deflects airflow so
that raindrops are carried past the funnel. The
siphon gauge also misses rain while the instrument
is siphoning.

Optical rain gauges (ORGs) measure rainrate by
detecting raindrops falling through an optical path.
One systemmeasures extinction of a light beam by the
raindrops; another measures the intensity of scintilla-
tions caused by raindrops passing through the beam
from a light-emitting diode. Rainfall amount is
obtained by integrating the rainrate. ORGs must be
calibrated against a funnel gauge in natural or simu-
lated rainfall.

Disdrometers are primarily intended for the meas-
urement of drop size and drop distribution in rainfall.
The most usual is an acoustic device which converts
the sound of impact of raindrops hitting the sensor
surface into an electrical signal related to the size of the
drop. Continuous recording of the size and number of
drops provides a time series of rainrate and total
rainfall by integration.

The above rain gauges can handle rainrates to
around 200mmh�1. This would be an extreme
tropical storm; a heavy rainstorm in midlatitudes
might produce instantaneous rainrates of 50 to
100mmh�1, but more commonly rainrates over
land are between 1and20mmh� 1. They are generally
unsuitable for the measurement of precipitation fall-
ing as snow.However, because of its importance in the
hydrological cycle in many regions, it is usual to
estimate thewater equivalent of snowfall, for example
by measuring the average depth of fresh snow cover
and its density.

Trace Gas Measurement

Measurement of minor constituents of the atmospher-
ic boundary layer is increasingly important for studies
of climate change (the ‘greenhouse effect’), and
monitoring of air quality. Applications include meas-
uring emissions from engine exhausts and refineries,
industrial stacks, agricultural emissions, and vegeta-
tion to atmosphere CO2 exchange. Species of interest
include CO, CO2, HF, N2O, NO, NO2, CH4, SO2,
NOx, NH3, and other hydrocarbons and organic
compounds. Accurate determination of both concen-
trations and fluxes are required, the former for
regulatory purposes and the latter for studies of the
emission process.

Chemical analysis and gas chromatography
were some of the earliest techniques used, but are
not convenient for automatic recording. Infrared
gas analyzers (IRGAs) have also been used for
absolute measurement of CO2 and some other at-
mospheric trace gases. The IRGA measures differen-
tial infrared absorption between a pair of cells
containing the air sample and a reference gas (or
between separate air samples for gradient deter-
mination). Originally intended as bench instru-
ments, they are sensitive to vibration and in the field
must be installed in a shelter with air samples drawn in
through tubes.

Spectrographic methods have also been introduced,
the most common being Fourier transform infrared
spectroscopy (FTIR). Essentially, the instrument is a
scanning interferometer which measures infrared
spectra at high resolution over a broad spectral range,
measuring all frequencies in the signal simultaneously,
and resolving those required with the Fourier trans-
form. Also developed as a laboratory technique, it has
been adapted for field use, able to monitor species at
very low concentrations (parts per billion of volume).
Two configurations are employed: either an open
atmospheric path is used, often folded to lengths up to
1 km, or the air is drawn through tubes to an internal
measurement cell. Advantages of the open path are
that it is noninvasive and that it affords spatial
averaging. The internal system permits better temper-
ature and pressure control, and reference to calibra-
tion spectra.

Trace gas profiles can be obtained by drawing
air continuously from several levels through sepa-
rate tubes, switched with valves sequentially
through either the IRGA or FTIR. With the gradient
of a particular constituent determined this way,
its flux can be inferred from eqn [4], estimating
the exchange coefficient from flux and gradient
measurements of some easier quantity (e.g. sensible
heat).
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Fast-Response Instruments

Fast-response instruments are needed for studies of the
turbulent structure of the boundary layer, and for eddy
flux measurement. For the wind components, heated
wire or film sensors have been used in the field, but
poor stability limits their accuracy. Nowadays the
usual sensor for turbulent wind measurement is the
sonic anemometer (sonic for short), which obtains
the wind component, V, along a fixed path length, d,
bymeasuring the transit timeof acoustic signals travel-
ing in opposite directions (D in Figure 1). Then
V ¼ c2ðt2 � t1Þ=2d, where c is the velocity of sound
in air. The earliest sonics determined this time differ-
ence directly or by measuring phase shift, but had the
weakness that c2 depends on temperature and humid-
ity. Most instruments now use an alternative expres-
sion, V ¼ dð1=t1 � 1=t2Þ=2. Different designs use
various arrangements of the three paths needed to
determine the total wind vector. Frequency response
depends on the size of the sensing volume, a compro-
mise between the conflicting needs for compactness
and minimal flow distortion; d is typically 10–20 cm.

An internal microprocessor determines t1 and t2 for
each path, and outputs wind components on or-
thogonal axes. Separate determination of t1 and t2 also
enables fluctuations in virtual temperature to be
obtained from the speed of sound. Then momentum
and heat fluxes are calculated with eqns [1a] and [1b].
Temperature fluctuations can also be measured inde-
pendentlywith afinewire, usually of platinum,mounted
in the yoke of the sonic; however, it is vulnerable to
damage from rain and wind-blown debris.

Measurement of humidity fluctuations are usually
based on absorption of either infrared (IR) or ultravi-
olet (UV) radiation by water vapor. IR instruments
usually have a broadband source separated from a
detector by an open path of physical length similar to
that of the sonic vertical path. A rapidly rotating
chopper wheel alternately introduces a pair of narrow-
pass interference filters into the beam, one at a strong
H2O absorption line (e.g. 2.61mm) and the other at a
nearby wavelength (e.g. 3.69mm) of negligible absorp-
tion. This ‘differential’ scheme helps compensate for
instabilities in the system, such as variations in source
intensity. Some IR instruments add another filter at a
CO2 absorption line (e.g. 4.22mm), to obtain both
fluxes simultaneously (E in Figure 1).

The UV instruments detect absorption at the
Lyman-a emission line of atomic hydrogen
(121.56nm) or from krypton (116.49 and 123.58nm).
These lines are strongly absorbed, providing good
signals with a separation of only 1 cm between the
source and the detector. Both types have long-term
stability problems, but these are not serious for the

measurement of fluctuations over periods like
15–30minutes. Neither instrument is normally used
for absolute measurement. The humidity sensor must
bemounted as close as practicable to the sonicwithout
increasing flow distortion. Formulae are available to
correct for loss of correlation by lateral separation of
the two instruments.

Fluctuations of static pressure are of interest in
turbulence studies, where correlations likew0p0 repre-
sent the transport of TKEby pressure fluctuations.p0 is
difficult to measure because any probe inserted in the
flow may produce dynamic pressure fluctuations
which mask those of static pressure. Instruments for
this measurement remain research prototypes.

In principle, if a suitable infrared absorption line
and fast-response sensor can be found, trace gas fluxes
can be measured by the eddy flux method. Some
IRGAs respond rapidly enough to measure eddy
fluxes, with allowance for the time lag and frequency
damping introduced in the air lines. When measuring
trace gases, CO2 and to some extentH2Oby eddy flux,
accountmust be taken of fluctuations of density due to
the presence of heat fluxes (the so-called ‘Webb
effect’). The corrections can be of the same order as
the measured flux.

Radiation Sensors

General

The radiant energy flux to and from the earth’s surface
comprises the solar (or short-wave) component in
the wavelength band 0.3 to 3mm, and the terrestrial
(long-wave or infrared) component from 3 to around
50 mm. They are measured with a pyranometer and a
pyrgeometer respectively. These instruments are
physically similar, both accepting broadband radiation
through a hemispherical dome of appropriate spectral
transmissivity.

Radiation observations can be conveniently dis-
cussed in the context of the balance of heat energy at
the surface over flat terrain. If RS and RL are down-
welling short-wave and long-wave radiative energy
(Wm� 2),TS (K) is surface temperature,GS is heat flux
into the surface, and H and lE the turbulent fluxes,

ð1� aÞRS þ e RL � sT4
S

� ��GS ¼ H þ lE ½7�
where a and e are surface albedo and emissivity, s the
Stefan–Boltzman constant, and l the latent heat of
vaporization.

Short-wave Radiation

Downwelling short-wave radiation at the surface has a
component due to the direct solar beam, and a diffuse
component scattered from atmospheric constituents
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and reflected from clouds. Upwelling short-wave
radiation comes from reflection at the surface. Both
can be measured with the pyranometer, facing either
upward or downward (F andG in Figure 1); their ratio
is the surface albedo. The pyranometer sensor is a
blackened horizontal surface on which the radiation
falls, bonded to a thermopile whose reference junction
is the instrument body. Accuracy for the instrument is
usually quoted as 2%. The direct solar beam can be
measured with a pyrrheliometer. These are more
accurate, but are generally unsuitable for operational
use because they need to track the sun. Their main use
is as calibration standards for working instruments.

The diffuse component is obtained with a ‘shadow-
band’, set to shield the sensor from the direct solar
beam.The position of the band is changedmanually to
follow the annual variation of solar elevation. Instru-
ments have also been built with a rotating shadow
band which alternately shields and exposes a fast-
response radiation sensor, such as a solid state photo-
cell. This system is less accurate, but useful on ships or
other moving platforms.

Long-wave Radiation

Pyrgeometers work by determining the thermal bal-
ance of the instrument itself. So as well as the
thermopile output, the case and dome temperatures
(TC and TD) have also to be measured. The long-wave
energy passing through the dome is then derived from
the pyrgeometer equation

RL ¼ V=sþ sT4
C þ Bs T4

C � T4
D

� � ½8�
where V is thermopile output, s its sensitivity, and
B an empirically determined constant (B3.5). Preci-
sion of the instrument using this equation is about
1.5%of the total long-wave flux.The third termon the
right represents the effect of dome heating, and the
second is the radiative flux contribution from the case
of the instrument. The latter is usually the largest term,
and is sometimes simulated with an internally gener-
ated voltage so that only one signal has to be recorded,
instead of three. This, and the necessary assumption
that TC ¼ TD, increases uncertainties to at least 5%.

Net Radiation

Often the net radiant energy (all wavelengths) into or
out of the earth’s surface is required. This is the
algebraic sumof the first two terms of eqn [7]. It can be
measured using two pyranometers and two pyrgeom-
eters, or more simply with a net radiometer. This
consists of a pair of blackened plates, bonded to the
opposite junctions of a thermopile to form a sensor
about 25mm square and 6mm thick. It is protected by
a pair of thin polythene domes, transparent to both

short and long wavelengths, kept inflated with a flow
of dry air. The symmetrical arrangement is mounted
with the sensor horizontal, measuring the temperature
difference produced between the plates by downwell-
ing andupwelling radiative energy (H inFigure 1). The
quoted 5% accuracy is poorer than each of the
individual instruments, but usually better than their
combined uncertainties.

Surface Heat Flux

In eqn [7],Gs is roughly 10% of the net radiation over
land and should not be ignored. It is usually measured
with a soil heat flux plate, an encapsulated thermopile
similar to the net radiometer sensor, buried horizon-
tally at a shallow depth. Heat flux through the plate,
assumed to be related to that in adjacent soil, generates
a temperature difference between the opposite faces.

Absorption of heat into a water body is more
complicated, because incoming short-wave radiation
is distributed in depth with an extinction coefficient
which depends on turbidity and wavelength. It can
penetrate tens of meters into clear water. Incoming
long-wave is absorbed within the topmillimeter or so.
Equation [7] may require additional terms for hori-
zontal and vertical transport of heat (advection) by
motion in the water.

Surface Temperature

The surface temperature, TS, is usually measured with
a narrow field of view IR radiometer in the 8–12 mm
band. In daytime over land surfaces, TS will normally
vary over quite small distances because of variations in
surface cover and topography. Thus, except where the
surface is flat and uniform (e.g. bare soil, mown grass)
a radiometer measurement from a height of even tens
of meters will not be representative of the region.
Radiometricmeasurements of sea surface temperature
are more successful, because of the uniformity pro-
duced by mixing, and are particularly valuable for the
validation of radiometers flown on satellites and
aircraft. Corrections must be made for reflected sky
radiation, measured with a second radiometer facing
skywards, and the emissivity of the water at the
particular IR wavelength must be known.

Types of Field Site

General

The physical nature of an experimental site, as well as
the purpose of the observations, has a bearing on the
instruments and methodology adopted. This section
presents some characteristics of various field sites, and
the consequences for useful measurement. We envis-
agemidlatitude conditions; the same basic sensors and
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procedures are used in tropical and polar regions,
perhaps modified to suit the extreme conditions
encountered.

Flat, Uniform Landscape

As mentioned above, a theoretical framework for the
one-dimensionalASLwas derived frommeasurements
at ‘ideal’ sites. These were located in vast regions with
little topographic relief (Australian plains, the US
Midwest, the Russian steppe), and the actual observ-
ing site was a substantial area of completely uniform
surface with short vegetation. Upwind changes in
vegetation or soil moisture were avoided. A rule of
thumb states that surface uniformity should extend
upwind at least 100 times the height of measurement,
with no trees or obstacles for many kilometers. Field
campaigns in the 1960s rarely used towers higher than
about 30m, so the required fetch was of order 3 km. If
application of the results from these experiments to
another site is to be strictly valid, it should conform to
the same criteria. In practice, useful results may be
obtained from less favorable sites, provided the
investigator is aware of the implications, and takes
appropriate measures. For example, at the field site
shown in Figure 2, wind blowing towards the camera
would have both profiles and turbulence strongly
perturbed by the belt of trees in the background.
However the fetch to the left of the picture was clear
for some kilometers, so data from that direction were
acceptable. The sensor supports face that way and the
equipment shelter is located well downwind of the
towers.

Plant Canopies and Forests

Some of the earliest studies of the atmospheric surface
layer were associated with agriculture and the rela-
tionship between climate and plants. Over short
ground cover like pasture, the origin of profiles is the
surface itself. For tall crops such as corn, orchards and
forests, the concept of a zero displacement height, d,
evolved, being the level near the top of the plant
canopy where the neutral logarithmic wind profile has
its origin. In eqn [3], the height z must be replaced by
z� d. The value of d depends on the structure of the
crop, but is usually about 3

4 of its height.
Within the canopy, branches and leaves are sources

and sinks for momentum, heat, moisture and CO2,
which govern the turbulent exchange processes. To
obtain representative profiles of vertical fluxes and
concentrations inside the canopy, measurements must
be averaged in space as well as time. Canopy profiles
merge with the boundary layer profiles near the top of
the crop.

Sensors of the same type are used within the canopy
as above, but are often smaller. Because of the three-
dimensional wind environment, sonic anemometers
are preferred over cups. Solar radiation penetrates the
canopy and is absorbed and scattered at plant surfaces.
Spatially averaged radiation profiles are sometimes
obtained by moving the instruments along tracks at
various levels through the vegetation. Awide range of
specialized sensors have been developed for detailed
study of canopy processes, energy exchange, water
use, CO2 uptake, and stomatal conductance, down to
the scale of individual leaves.

Non-Uniform Terrain

In the real world, the obstacles and surface nonuni-
formity so carefully avoided around ‘ideal’sites are the
normal condition, stimulating efforts to establish
general rules to describe such complex terrain.Models
have been developed for the two-dimensional internal
boundary layers which grow downstream from a
change in surface, and a sequence of such changes like
the checkerboard pattern of agricultural land. There
has also been some success inmodelingwind flowover
one- and two-dimensional hills.

Over such topography, observational problems
escalate. A uniform site can be represented by a single
vertical profile of instruments. To document the
boundary layer over complex terrain requires many
measuring sites and more sets of instruments. Their
number, height and location depends on the particular
aims of the study, andmust be to some extent intuitive.
For example, is it enough to sample the extremes of the
site (a hilltop and a valley), or must we also investigate
sites in between?

Some guidance may be gained from simple model-
ing of the flowfield. This, and the analysis of data from
hilly sites, is often performed in a coordinate frame-
work based on the streamlines of the flow.At any point
in this curvilinear system, the x axis is along the local
mean velocity vector, with the other two axes normal
to it and to one another.

As the physical scale of topography increases,
surface influence propagates higher into the ABL,
beyond the range which can be studied exclusively
with in situ techniques. This is where the combined
strengths of in situ, remote sensing, and aircraft
operations become important.

The Ocean

The ocean surface is notably horizontal, uniform and
homogeneous. One-dimensional assumptions, turbu-
lence theory, and theMOSTrelationships apply to the
marine boundary layer. However, exchange between
ocean and the atmosphere involves additional physical
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processes associated with the waves, surface currents,
and heat transfer in the water.

Most of the sensors described above are used at
sea, but designed to survive the more hostile condi-
tions. Wind, temperature, and rainfall measurements
can be impaired by the presence of the ship. When
practical, meteorological sensors are mounted on a
jackstaff at the bow, in relatively clear air and ahead of
spray from the ship’s bow wave, or high on the
mainmast with instruments duplicated on port and
starboard sides. Psychrometers are seldom used be-
cause of the frequent need to wash salt from the wick.
More usually, temperature and humidity aremeasured
with the thin-film polymer package. Radiation instru-
ments are mounted as high as possible, preferably in
gimbals. The domes require daily washing to remove
salt and particulates from the ship’s exhaust. Upwell-
ing radiation components are calculated from sea
surface temperature, emissivity, and albedo.

Eddy fluxes are measured with the usual fast-
response instruments, the sonic wind signals being
corrected for ship motion measured with an inertial
navigation system (INS), containing accelerometers,
rate sensors, gyros, etc. The inertial dissipation tech-
nique of flux measurement (see Further Reading) is
also used at sea, being less affected by flow distortion
and ship motion. This also requires the fluctuations
w0; u0; y0; q0, but within the inertial subrange.

Over the ocean, a finite difference form of eqn [4],
Fw ¼ Cw wS � wAð Þ, is commonly used for flux calcula-

tion. Cw is the exchange coefficient for variable w and
subscripts S and A refer to values at the surface and a
reference height (usually 10m). Values of Cw have
progressed from constants or simple functions of
wind speed, to sophisticated forms embodying flux–
gradient stability relationships and effects of sea
state. These require iterative computer codes which
calculate momentum, sensible and latent heat fluxes
simultaneously (so-called bulk flux algorithms). Ra-
diometric measurement of sea surface temperature is
preferred, because skin temperature is the physically
correct value to use for air–sea exchange. However,
sufficiently accurate IR radiometers are seldom avail-
able, so TS is measured at some depth below
the surface. Some flux algorithms take account of
the difference between this (bulk) value and skin
temperature.

Long-term Observation Sites

Any description of in situ methods would be incom-
plete without reference to surface observations made
worldwide by national weather services. Their prin-
cipal purpose is for weather, aviation, and shipping
forecasts, and increasingly for climatology, but they
also provide data for community use. The variables
recorded, and often the sensors used, are the same as
those needed for research. Research experiments tend
to record continuous time series at high resolution
over relatively limited periods. Weather observations

Figure 2 A micrometeorological research site in south-eastern Australia, set up by CSIRO Land and Water. The towers carry

instruments tomeasure theprofilesofwind, temperature, andhumidity, the componentsof radiation, andeddyfluxesof heat,moistureand

CO2, as part of a regional climate study. The tallest tower is 22metres high; a shelter for recording equipment is seen to the right of the

picture. (Photo:rGreg Heath.)
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feature discrete data sampling (1–3 h, depending on
the station), but on a regular and continuing basis.

The value of this data is enhanced by the careful
documentation and quality control performed by the
forecasting services, and the fact that instruments,
sites and observational procedures conform to agreed
international practice. Meteorological services do not
adopt new instrument types without international
comparisons, and avoid toomany changes to preserve
homogeneity of the climate record. The requirements
for instruments (such as accuracy and calibration) and
observation procedures are set out in WMO (1986).

Increasingly, automatic weather stations (AWS) are
being developed and installed worldwide, taking
advantage of technological advances in sensor devel-
opment, computer capability, and communications.
Data transmission from remote sites is possible by
satellite or phone. Other advantages include more
frequent sampling, exact timing, and avoidance of
human error. This not only improves the forecast, but
both the real-time and archived data are a quality
resource for research.

A global network of stations has also been estab-
lished for long-termmeasurement of land–atmosphere
carbon, water, and energy exchange. Known as ‘flux
stations’, they are operated by research institutions in
various regions: ‘Ameriflux’, ‘Euroflux’, ‘Ozflux’
(Australia), etc. The principal measurement is of the
eddy fluxes using the fast-response instruments de-
scribed above, but a full suite of meteorological
instruments is also maintained. Like the AWS, data
are transmitted to base by a telemetry link.

Experimental Procedures

Platforms

Over land, instruments are usually mounted on a
guyed mast or tower. To avoid distortion of the wind
flow, these are as slim as possible without losing
rigidity. Sensors are mounted at the end of arms,
oriented in the direction of the prevailing wind. To
accommodate winds from all directions, sensors are
often duplicated on opposite sides of the mast.
Equation [3] indicates that the profiles will be best
defined with logarithmically spaced sensors.

Up to a few meters in height, the mast can be a
simple tube, perhaps only 10 cmdiameter. Tallermasts
are usually the climbable lattice type of triangular
cross-section and about 30 cm side. Both types are
shown in Figure 2, the near lattice tower being 22m
high; the practical limit is about 60m. Beyond this, a
major structure is necessary with a small elevator to
transport equipment and personnel to the upper levels.
Several such research towers have been built to heights

around 300m; the best known are by USA/NOAA
at Boulder, the Dutch Meteorological Institute at
Cabauw, and the Japanese Meteorological Agency
at Tsukuba. More elaborate measures must be taken
to extend the sensors far enough from these towers to
minimize interference.

At shallow water sites, such as lakes and the coastal
ocean, masts and research platforms have been built
on the seafloor. Over the deep ocean, platforms are
either ships or moorings. The difficulties of operating
from ships have already been mentioned, particularly
distortion of measurements by their bulk. Spar and
toroidal buoys moored to the seabed also experience
motion, but are less obtrusive. Toroids usually carry a
frame for instruments to the height of about 4m.
Networks of such moorings have been installed in
climatically important regions, such as the tropical
Pacific. They return data daily via satellite and can
operate unattended for periods of six-months or
longer. The most serious setback to reliability is not
technical, but vandalism.

Figure 3 shows a unique and much-used facility
called FLIP (FLoating Instrument Platform) developed
by the Scripps Institution of Oceanography. In effect a
huge spar buoy 300m long, it is towed on site and the
lower part flooded so that it actually flips into the
vertical. In this deployment, it is set up to measure the
structure of the marine ASL. The photograph high-
lights the multiple sensors needed to determine vari-
ability with height, and the long boom tominimize the
influence of the bulky platform.

Combined operation of aircraft with in situ plat-
forms has proved highly effective. While surface-
mounted instruments perform continuous time sam-
pling, the aircraft complements this with spatial
sampling over the surrounding region. Missions are
often flown only 30m above the surface, mostly using
the sensors described above. Figure 4 shows an aircraft
equipped for boundary layer research; turbulent wind
components aremeasuredwith pressure probes (Cand
F in Figure 4) corrected for aircraft motion with INS
(I), temperature with thermistors or PRTs (A), mean
humidity with a dew point hygrometer (B), and
humidity fluctuations with Lyman-a or IR sensors
(D and G). The latter may also be measured with a
refractometer, which detects fluctuations of the
radio refractive index of air, which depends on
humidity, temperature, and pressure, in a microwave
cavity. The advent of miniature electronics and
the GPS navigation system has enabled development
of miniature autonomous robotic aircraft, which
can potentially play a valuable role in boundary layer
studies.

Tethered balloons have been used to suspend
instruments through the ABL, and may thus provide
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an alternative in situ platform within the height range
of tall (300m) towers. Their main advantage is
portability and rapid deployment; an obvious difficul-
ty is their instability. Instruments are attached to the
tether cable at various levels although the actual height
of measurement fluctuates with balloon motion.
Eddy-flux measurements have been made from teth-
ered balloons, the attachment for the flux package
being designed to maintain its verticality and orienta-
tion. A development of this technique is the kytoon, a
kite-shaped balloon which provides aerodynamic lift
and better stability.

Sampling and Data Recording

When planning a series of observations it is important
to consider the sampling required to achieve the aims
of the project. We have seen that nonuniform terrain

places demands on spatial sampling. Sampling in time,
even in the one-dimensional case, has several aspects.
An instantaneous profile will be uneven because of
turbulent fluctuations onmany scales. Smooth profiles
are obtained by averaging ensembles of many profiles
over some period, which should be long enough to
include most of the low frequency eddies, but avoid
diurnal nonstationarity. In the surface layer, a period
of 15–30minutes is convenient.

This identifies the environmental time constraint to
obtain realistic mean values. For sampling rate we
consider the time response of the sensor. In the case of a
‘slow’ sensor (e.g. a platinum thermometer) this may
be many seconds, much slower than the high-frequen-
cy end of the atmospheric spectrum. So the sensor
rather than the variable determines the sample time; in
practice 2–5 samples within the transducer time
constant is sufficient.

Figure 3 The floating instrument platform (FLIP) operated by Scripps Institution of Oceanography, La Jolla, CA, USA. FLIP is shown

here set up for an investigation of the marine boundary layer by the Atmospheric Turbulence Laboratory of the University of California at

Irvine. The boom is 20m long and 12m above the sea surface. It carries a vertical mast with instruments to measure profiles of wind and

temperature, atmospheric turbulence and the fluxes of heat, moisture and momentum (Photo:r Carl Friehe.)
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Between the energy-containing low-frequency
eddies of the atmospheric spectrum, and the high-
frequency eddies which dissipate turbulence energy to
heat, is a region known as the inertial subrange. This
covers the spectral range from about 10Hz to 0.1Hz.
Thus, to determine turbulence statistics and the eddy
fluxes we need not resolve higher frequencies than
10Hz. According to Shannon’s sampling theorem, to
reconstruct the original signal without aliasing, this
implies a sampling rate of 20Hz. The fast-response
instruments described above for w0, u0, y0, and q0 have
been designed accordingly.

Dramatic improvements in computing speed and
recording media, and reduced costs have revolution-
ized data recording practice. In the past it was usual to
sample at the highest frequency required but record
only average values. Time series of turbulent fluctua-
tions filled racks of computer tapes. Now that data
storage is no longer a restriction, all data can be
archived at the original sampling speed, to enable
reanalysis at some later date. Ready availability of
CD-ROM writers makes large data sets secure and
portable.

See also

Agricultural Meteorology and Climatology. Air–Sea
Interaction: Momentum, Heat and Vapor Fluxes.
Boundary Layers: Complex Terrain; Surface Layer.
Data Analysis: Time Series Analysis. Land–Atmos-

phere Interactions: Canopy Processes; Trace Gas
Exchange. Observations for Chemistry (Remote
Sensing): Microwave. Operational Meteorology.
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Introduction

The ocean mixed layer (OML), the ocean region
adjacent to the air–sea interface, is typically tens of
meters deep, and due to the fact that it is well mixed,
the temperature and salinity (and therefore the den-
sity) are fairly uniform. The rapidly changing regions
below these uniform regions of temperature, salinity,
and density are called the thermocline, halocline, and
pycnocline, respectively. The mixing is primarily
shear-driven, since the wind stress at the surface is
the primarymixing agent, although at night significant
convective mixing driven by the heat loss to the
atmosphere takes place. The OML is heated near the
surface by both short-wave (SW) and long-wave (LW)
radiative fluxes, and deeper in the water column from
solar radiation in the visible part of the spectrum
penetrating into theOML.This solar heating produces
a diurnal cycle that varies in importance and magni-
tude at different latitudes. The cooling, however, is
driven from heat and evaporative losses at the surface.
Seasonal variation of the OML due to radiative
heating is also important, although the importance
depends on the latitude.

The OML mediates the exchange of mass, momen-
tum, energy, and heat between the atmosphere and the
ocean and hence plays a central role in long-term
climate andweather. Because of the high heat capacity
of water (2.5m of the upper ocean has the same heat
capacity as the entire troposphere), and because the
oceans compose over two-thirds of the surface of the
globe, most of the solar heating on Earth passes
through the OML.Oceans are heat reservoirs, gaining
heat during spring and summer and losing it slowly
during fall andwinter, and therefore act like a flywheel
in matters related to weather on time scales of weeks
and longer.

The OML also plays an important role in the
oceanic food chain. Primary production by phyto-
plankton is the first link in this chain. The need for an
energy source in producing biomass restricts primary
production to the upper few tens of meters (the
euphotic or photic zone), in which the solar insolation
is strong enough to assist carbon fixation. The mixing
at the base of the OML is also crucial to biological

productivity. TheOML is normally nutrient-poor, and
it is the injection of nutrients from the nutrient-rich
waters below the seasonal thermocline that permits
higher levels of primary productivity. In fact, it is the
upwelling regions (which compose just a few percent
of the world’s oceans), where nutrient-rich waters are
forced into theOMLandbrought into the photic zone,
that provide most of the fish catch around the world.

Biological productivity is important from a climatic
point of view over time scales of decades or more.
Carbon fixing constitutes a biological pathway for
removing some of the anthropogenic CO2 introduced
into the atmosphere. There also exists an inorganic
pathway, since there is a significant uptake of CO2 in
the cold subpolar oceans, some of which are also
regions of deep and intermediatewater formation. It is
likely that the ocean acts as an important CO2 sink on
the globe and accounts for a significant fraction of the
‘missing’ anthropogenic CO2 input to the atmosphere.
However, quantification of the magnitude of this sink
requires accurate OML models coupled to accurate
ecosystem and air–sea transfer models.

Finally, the OML constitutes the first link in the
chain of oceanic pollution.Most of the pollution in the
global oceans takes place in the coastal oceans through
the OML, and therefore the fate of any pollutants
accidentally or intentionally deposited in the OML
depends on the mixing and dispersion in the OML.

Characteristics

An OML can be divided into four parts: the very thin
but important molecular sublayer, a few millimeters
thick; the wave sublayer, normally 2–6m thick; the
main bulk of the OML, 10–40m thick; and the
entrainment sublayer of about 5–10m thickness. In
deep convectiveOMLs,where themixed layer depth is
a few hundred meters or more, the fractions of the
wave and entrainment sublayers are small. In a
shallow diurnal OML, a few meters thick, the wave
sublayer canbe a large fraction.Anactive gravitywave
field can damp out the diurnal modulation of sea
surface temperature (SST) by wave-driven mixing
through Langmuir cells or wave breaking processes.

The active turbulent mixed layer in the upper ocean
is usually bounded below by a strong buoyancy
interface, in the form of a layer with either a sharp
decrease in temperature (seasonal thermocline) or a
sharp increase in salinity (halocline) (or both). In either
case, this layer (called a pycnocline) is stably stratified,
and here turbulence is damped by buoyancy forces.
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The transition region from active turbulent mixing to
mostly quiescent layers below can be called a turbu-
cline, in analogy with the thermocline. Normally,
the turbucline coincides with the seasonal thermocline
or halocline, but not necessarily both. During high-
precipitation events, a shallowbrackish layer can form
and the halocline and turbucline are at similar depth
but the thermocline is much deeper. In the tropical
Western Pacific, a similar situation can exist, leading
to the so-called barrier layer that plays an important
role in the transfer of heat from the ocean to the
atmosphere in the tropics, by acting as a barrier to
mixed layer deepening and entrainment of waters
below the halocline.

An OML is mixed from both the top and the
bottom. At the top, it is the winds, waves, and
buoyancy fluxes that stir the fluid. At the bottom, it
is the entrainment driven by large turbulent eddies in
the OML that mixes the denser fluid from below into
the OML. Wind-driven current in the OML also
causes strong shear at the base of the mixed layer;
shear instability ensues, inducing Kelvin–Helmholtz
billows, which thicken the buoyancy interface and
hence decrease its resistance to erosion by turbulent
eddies. In deep OMLs, it is these mechanisms at the
bottom that are responsible for a majority of the
deepening of theOML. In shallowOMLs, the surface-
stirring processes due to gravity wave breaking and
cellular motions are also important. Note that turbu-
lent erosion tends to sharpen the pycnocline, while
K–H billows tend to make it more diffuse.

Perhaps the most salient aspect of the OML in
midlatitudes is its diurnal and seasonal variability.
Figure 1 shows the typical seasonal cycle in mid-
latitudes. This seasonal variability in OML depth and
temperature, and hence the heat content of the OML,
is a prime factor in the air–sea exchange at these
latitudes. The onset of spring warming restratifies the
water column, and its depth stays roughly constant
once the shallow spring–summertime thermocline
forms. However, the formation period is heavily
influenced by wind events at the time. Similarly,
wind forcing controls the deepening of the OML at
the onset of autumn cooling. During this time, the
OML deepens episodically during intense storms that
pass through the region, with significant assistance
from cooling at the surface. Both sensible and latent
heat fluxes are important in cooling the ocean at
midlatitudes, whereas it is principally the evaporative
losses that dominate the air–sea exchange at warmer
low latitudes and sensible heat loss at colder high
latitudes. Precipitation events also play a role in
mixing. Wintertime cold air outbreaks along the east
side of continents lead to rapid OML deepening, a
large heat loss from the ocean, and cyclogenesis in the

atmosphere. At higher latitudes, the OML deepens
more because of penetrative convection, and in sub-
polar regions deep convection occurs. The OML
structure in midlatitudes is affected by both salinity
and temperature, whereas in subpolar and polar
oceans salinity plays an overwhelmingly important
role in mixing, and in the tropics the thermal structure
in general predominates.

Diurnal variability affects the heat exchange on
shorter time scales and may play a role over long time
scales as well. The intensity of diurnal modulation of
the OML depth and temperature depends on the
season. Generally, the modulation is stronger if the
solar insolation is strong and winds weak. This
situation is typical of summer. Insolations as high as
1000Wm� 2 are possible during clear summer days.
This combined with very low winds gives rise to a
diurnal modulation of as much as 2–41C. Part of the
heat built up in the OML during the day is lost by
nocturnal cooling, which drives a vigorous convection
and mixing in the water column that normally mixes
some of the heat gained into the seasonal mixed layer.

A major factor in OML dynamics in the equatorial
regions is the presence of strong background currents
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in the vicinity of the OML. The Equatorial Undercur-
rent in the Equatorial Pacific is a typical example. It
exists at depths ranging from 50 to 200m and is an
eastward-flowing current that produces a strong
vertical shear, which has a major influence on mixing
in the upper water column. In contrast, in midlatitude
oceans, the principal balance is between the Coriolis
terms and the stress divergence, and the currents are
not continuously accelerated by a steadywind; instead
a steady state is reached and an Ekman-like spiral is
produced.

In ice-covered oceans, the icemediates the exchange
of momentum between the atmosphere and the OML.
The principal balance in ice is between the Coriolis
force, thewind stress at the top, internal stresses in ice,
and the shear stress on the ocean at the bottom. This
force balance determines the stress available for
mixing under ice. In addition, ice growth and melting
cause buoyancy fluxes that affect the OML below the
ice. Stirring by deep ice keels is an important factor.
The ice cover tends to insulate high-latitude oceans
from the cold atmosphere. However, it is not contin-
uous, and even in the middle of winter there exist
narrow openings in ice, called leads, through which a
substantial fraction of wintertime heat loss to the
atmosphere at high latitudes takes place. Figure 2
shows the mixing processes prevalent under leads.

There are striking similarities between the atmos-
pheric boundary layer (ABL) over land and the OML.
Under convective conditions, similar scaling laws hold
in both turbulent layers. However, themost important
difference between the OML and the ABL over land is
the presence of surface waves at the air–sea interface
that play an active role in its dynamics. The dynamical
influence of the ground surface on the ABL is deter-
mined by its roughness and topography, which are
invariant, whereas it is the effective roughness of the
mobile sea surface that is constantly changingwith the
winds that is important in the OML.

Under neutral stratification, it is possible to find a
region where the universal law of the wall scaling
would apply: q � un, l � z and e � z�1, yt � z, where
un is the frictional velocity (the square root of the ratio
of the wind stress to the water density), q is the
turbulence velocity scale, l its length scale, e the
dissipation rate of turbulence kinetic energy (TKE), nt
the eddy viscosity, and z the depth. Here, the mean
shear is proportional to un but inversely proportional
to z, and therefore themean velocity is proportional to
the logarithm of the distance from the free surface (see
the references listed under Further Reading). Indeed,
this scaling can be found in the upper part of theOML,
except close to the surface. Close to the surface, under
strong wind conditions, modern measurements have
found that the dissipation rate is one to two orders of

magnitude larger than that given by the law of thewall
(Figure 3). This near-surface elevated dissipation rate
is due to the influence of surface waves and wave
breaking. Wave breaking generates intermittent,
shear-free turbulence somewhat akin to the turbulence
generated by a stirring grid in a fluid. The turbulence
intensity drops off sharply away from the source.
Therefore,while the turbulence intensities are elevated
above the usual levels during extensive wind-wave
breaking, this turbulence is important only to a depth
on the order of the amplitude of the breaking waves.
Below these depths, the law of the wall can often be
found once again. Wave breaking and associated
turbulence are likely to be important for the dynamics
of OMLs, especially shallow ones; because of the
elevated near-surface dissipation rates, theymay bring
about a higher exchange of gas and heat across the
air–sea interface.Were it not for the surfacewaves, the
turbulence near the surface of an OML would behave
roughly similar to that adjacent to a solid boundary,
such as the ABL over land.

Solar Heating

The solar radiation incident on the ocean surface can
be divided into three components: short wavelengths
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in the ultraviolet part of the spectrum (o350 nm), the
wavelengths available for photosynthesis (photosyn-
thetically available radiation (PAR), 350–700 nm),
and the infrared and near-infrared wavelengths
(4700 nm). The UV portion is roughly 2%, PAR
53%, and IR 45% of the total solar insolation. PAR
coincides roughly with the visible portion of the
spectrum and is the most important of the three
portions for biological aspects of the upper ocean.
Primary productivity and fixing of carbon by phyto-
plankton take place only in the euphotic zone, defined
as the depth at which respiration and primary
production balance, which is where PAR decreases
to 1% of its surface value. The ultraviolet part is

important to the productionof certain photochemicals
such as carbonyl sulfide. Figure 4 shows the spectrum
of solar insolation at the top of the ocean and at
various depths. Only the visible part remains below
about 10m.

Air–sea Fluxes

For air–sea exchange purposes, the momentum flux
from the atmosphere to the oceans is the most
important parameter, and therefore the transfer of
momentum from winds to surface waves is usually
relevant only in so far as it affects the net transfer to the
ocean currents. Similarly, the water vapor and gas
fluxes from the oceans to the atmosphere, which are
usually net losses to the ocean, are also important. All
these fluxes of heat, mass, momentum, and gases are
determined by turbulent processes in the surface layers
of the atmosphere and the ocean adjacent to the air–
sea interface, with surface waves playing an important
role by virtue of their ability to act as sinks of
momentum, to determine the ‘roughness’ of the sea
surface, and to disrupt the aqueousmolecular sublayer
responsible for transfer of scalar properties across the
interface. At sufficiently high wind speeds, spray and
droplets ejected into the atmosphere and air bubbles
entrained into the ocean duringwave breakingdirectly
affect the water vapor and gas exchange between the
two media.

The net fluxes of all scalars, including heat, must
vanish at the interface (Figure 5).
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where SW" ¼ aSW#; a is the albedo of the ocean
surface. There is thus a balance between the down-
welling short-wave (SW#) and long-wave (LW#)
radiative fluxes, and the upwelling SW" and LW"
fluxes, the sensible (Hs) and latent (HL) heat fluxes, the
heat flux due to any precipitation (Hpr), and the solar
radiative flux penetrating into the ocean (SWP

# ). The
net salinity flux to the ocean is

FSpr ¼ ð .Pr;sn �
.
EÞð�SsÞ

.
E ¼ HL=LE ½2�

where
.
Pr;sn is the precipitation (rain or snow) rate

(m s� 1),
.
E the evaporation rate, Ss the surface salinity,

and LE the latent heat of evaporation. Precipitation
tends to suppress mixing because of the stabilizing
effect of fresh water precipitated onto the salty water
of the ocean. The net buoyancy flux due to precipita-
tion is normally stabilizing, since the salinity effect
overwhelms any thermal effect.

Momentum is a conserved quantity. Therefore, the
momentum flux must also be in balance at the air–sea
interface. This just means continuity of stresses at the
interface, in particular, tangential stresses,

ta þ tpr ¼ tw þ twv ½3�
where ta is the air-side stress (the shear stress applied
by the atmosphere to the ocean), tw the water-side
stress (negative of the drag exerted by the ocean on the
atmosphere), twv the momentum flux radiated out by
propagating surface waves generated by the wind, and
tpr the momentum flux due to precipitation. Enor-
mous effort has gone into parameterizing ta in terms of
the atmospheric variables and twv, since they deter-
mine the value of tw. The momentum flux to the
surface waves is a drag exerted on the atmosphere and
is therefore important. It is especially important in the
initial stages of development of the wave field (mean-
ing short fetches or immediately following a change
in the wind), since a considerable fraction of the
momentum flux from the atmosphere goes then into
generating the waves, with the remainder going
directly into ocean currents. For a mature wave field,
however, near-equilibrium conditions prevail and

most of the momentum flux put into waves is
immediately ‘lost’ and transferred to the currents,
and twv can be safely neglected. It is difficult in practice
to compute twv without a wave generationmodel, and
it is a normal practice to ignore twv and put tw ¼ ta in
the absence of any precipitation.

Heating and cooling of the ocean surface occur
across the skin of the ocean. Within this skin layer,
which is on the order of amillimeter in thickness, there
is usually a sharp drop in temperature of a few tenths
of a degree Celsius (Figure 6). Exchanges of heat,
momentum, and mass through this region are by
molecular processes. This cool skin plays an important
role in air–sea transfer processes, because of its
influence on air–sea temperature and humidity differ-
ences. Transport of dissolved gases also occurs across a
molecular sublayer of similar thickness to the thermal
sublayer. Below this thin layer, turbulent processes
dominate, driven by momentum and energy exchang-
es from the atmosphere to the ocean. The presence of
the wave sublayer and a mobile interface, whose
roughness as felt by both the ocean and the atmosphere
is dynamically determined, provides the most impor-
tant distinction between an atmospheric boundary
layer (ABL) over land and that over the ocean.
Consequently, surface layer similarity laws derived
from the ABL over land are imprecise analogies when
applied to the ABL over water and the OML. This is
more so for the OML where the fraction of the OML
affected directly by wave orbital velocities and hence
wave dynamics can be large.

Langmuir Cells

Langmuir cells are organized counterrotating cells in
the surface layer (Figure 7), with axes roughly aligned
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Figure 5 A sketch of the heat fluxes at the air–sea interface.
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with the wind. Their presence is indicated by surface
convergence at the boundary of counterrotating cells,
where seaweed and flotsam accumulate. The conver-
gence region is also made visible by whitecapping and
bubble entrainment due to breaking of small-scale
waves, resulting in parallel white lines aligned roughly
with the wind and roughly uniformly spaced. Bubble
clouds in water are also concentrated at surface
convergence zones and are visible in side-scan sonar
observations.

Organizedmotions in theOML such as those due to
large eddies and Langmuir circulations are important
to upper-ocean mixing and transport. Langmuir cells
can be quite vigorouswith downward vertical velocity
immediately below the convergence zone as high as a
few tens of cm centimeters per second. These motions
are capable not only of injecting additional energy into
the OML for mixing, but of also transporting floating
particles such as phytoplankton deep into the OML.
They are transient processes, however, and not easily
quantified. Their existence depends on the presence of
a surface wave field with the associated Stokes drift, a
small steady Lagrangian residual current in the direc-
tion of surface wave propagation which decays expo-
nentially with depth. An instability brought on by the
vortex force term that appears in the momentum
equations due to the interaction of the Stokes drift
with the mean shear in the upper layers leads to the

formation of Langmuir cells. Thus they are unique to
the oceans since they result from a subtle interaction of
the wind-driven turbulence and the Stokes current
drift produced by surface gravity waves. Observation-
al programs and advanced computer models such as
large eddy simulations (LES) are helping us under-
stand such large-scale features of the OML. Langmuir
cells can have a dramatic effect on shallow diurnal
mixed layers and canwipe out the strong diurnal peaks
in the sea surface temperature thatwould otherwise be
manifest when solar insolation is strong andwinds are
weak. Their effect on mixing in deep mixed layers can
also be significant, even though the Stokes drift decays
rapidly with depth.

The characteristic velocity scale for Langmuir
circulation is

VL ¼ ½u2
n
ðkaÞ2 C cos y�1=3 ½4�

where un is the friction velocity, k the wavenumber, C
the phase velocity, a the amplitude of the surface
waves, and y the angle between wind stress and the
direction of wave propagation. Clearly, the strength of
the Langmuir cells depends on both the Stokes drift
and wind stress, so that strong winds and small waves
can have an influence similar to that of weak winds
and large waves.

Deep Convection

There exist a few regions in the high-latitude
oceans where convection is both deep and long-
lasting. Under the present climatic conditions, in the
Greenland Sea, the Labrador Sea, and the western
Mediterranean Sea in the Northern Hemisphere, and
in the Weddell Sea in the Southern Hemisphere,
strong, prolonged wintertime cooling occurs at the
surface, leading to deep convective layers that extend
overmost of thewater column.Deep convection in the
open ocean is the means by which the deep ocean is
ventilated and its thermal structure maintained.
The resulting meridional thermohaline circulation,
and the poleward oceanic heat transport from the
low latitudes to the mid–high latitudes associated
with it, have a major influence on the climate at these
latitudes. In these few deep convection regions, the
stable stratification in the water column that normally
isolates the abyss from the atmosphere is broken down
violently by strong convective cooling at the surface.
The associated timescales are much larger than the
inertial period (2p=f ,where f ¼ 2O sin y is theCoriolis
parameter,O being the angular velocity of Earth and y
being the latitude) and hence deep convection occurs
under the influence of Earth’s rotation.
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There are three phases of deep convection as
follows:

(1) The preconditioning phase, where the prevail-
ing large-scale circulation brings the weakly stratified
deep water masses closer to the surface for the
stratification to be gradually eroded by strong, sus-
tained surface cooling during early winter. This phase
is crucial to the whole process. Deep convection in the
open ocean is found only in regions with cyclonic
circulation that causes an upward doming of the
isotherms. In the Labrador Sea, the cyclonic circula-
tion is due to the West Greenland and Labrador
currents hugging the continental slope. In the Medi-
terranean, the cyclonic Lions Gyre provides the
preconditioning. Strong, sustained cooling is also
essential to break down the stratification built up in
the upper layers during the previous spring and
summer. It is interesting that even stronger heat losses
(B1000Wm�2) occur in the oceans during winter-
time cold-air outbreaks off the east coasts of conti-
nents leading to strong cyclogenesis in the atmosphere,
but not deep-water formation because of the brevity of
the event. In the polar oceans, the air–sea temperature
differences during off-ice wind conditions can reach
30–401C, and if sustained long enough can lead to
intermediate and deep water formation, examples
being the Weddell Sea in the Antarctic, the Sea of
Okhotsk, and the Arctic shelves.

(2) Eventually the stratification breaks down.
Strong cooling events lasting several days with heat
losses of 500–1000Wm�2, brought on by air–sea
temperature differences of 8–121C, and strong wind
bursts are common. Deep convection ensues, with
intense plumes a few kilometers in size reaching down
to as deep as 2–3 km.

(3) The coolingweakens, and thewell-mixedwater
mass in the convective ‘chimney’ spreads laterally,
undergoing baroclinic instabilities in the process, and
mixes with the ambient waters. Stratification is
restored and the stage is set for the next cycle.

The most relevant parameters in deep convection
are the buoyancy flux (due to both sensible and
evaporative heat losses), B0, that can reach values of
1–3 � 10�7m2 s� 3, the inertial frequency, f , the
depth of the mixed layer, D, 1000–3000m, and the
Rossby radius of deformation, a ¼ c=f (where c is the
internal gravity wave speed), typically a few kilome-
ters. The Rossby radius is indicative of the horizontal
scales of motion under the influence of ambient
rotation. Under conditions where the rotational
effects dominate, the relevant length and velocity
scales are ldc ¼ ðB0=f

3Þ1=2 and udc ¼ ðB0=f Þ1=2. The
associated Rossby number, Ro ¼ udc=ðfldcÞ, charac-

terizing the relative importance of rotation is unity.
The relevant Rayleigh number, a parameter of impor-
tance in thermal instability and free convection, is
Ra ¼ B0D

4=ðnk2Þ, on the order of 1026. Note that in
the atmosphere, where rotational effects are not
important, the relevant length scale is D, and the
relevant velocity scale is the Deardorff scale,
wn ¼ ðB0DÞ1=3, indicative of the typical velocities in
a convective ABL.

Numerical Models

Oceanic mixed layer models can be grouped into
roughly two categories: bulk (or slab) models and
diffusion models. Bulk models attempt to model the
OML inan integral sense. The governing equations are
integrated over themixed layer so that themomentum
and heat balance of the entire mixed layer, under the
action ofmomentumand buoyancy fluxes at the ocean
surface, can be considered. Themajor problem in bulk
mixed layer modeling arises from the necessity to
parameterize the advance and retreat of the OML
under the action of surface momentum and buoyancy
fluxes. The entrainment rate at the base of the OML,
determined by turbulence processes, governs the
deepening of the OML. This has been a subject of
both laboratory and field experiments. It is also
necessary to know the depth to which turbulence
generated at the surface can penetrate under the action
of a stabilizing buoyancy flux at the surface, as, for
example, during a rainstorm or strong solar heating.
Bulk models parameterize the entrainment (OML
deepening) and ‘detrainment’ (OML retreat) in terms
of surface fluxes of momentum and buoyancy, using
well-known properties of turbulence in geophysical
mixed layers and/or observational evidence.

Diffusion models parameterize turbulent mixing in
the OML. Those based on higher moments of
governing equations close the governing equations
for turbulence quantities at some level by judicious
modeling of the unknown higher moments and
other terms. Once turbulence is thus quantified, it is a
straightforwardmatter to deduce themixing intensity.
In second-moment closure models, the turbulence
equations are closed at the second-moment level;
conservation equations for turbulence Reynolds
stresses, heat fluxes, and scalar variances are solved
by modeling the unknown third-moment turbulence
quantities and pressure–strain rate and pressure–
scalar gradient covariance terms by appealing to
physical intuition and/or observational evidence (and
lately to large eddy simulations of turbulence). How-
ever, the complexity of this approach is at least an
order of magnitude more than that of the simpler
models cited above, since there is now a need to solve
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partial differential equations governing second mo-
ments in addition to the usual ones for mass, momen-
tum (for velocity components U and V), and scalar
(for temperature T and salinity S) conservation.
Attempts have therefore been made to simplify the
set by once again utilizing certain aspects of turbulence
such as its departure from the state of local isotropy.
The result is a hierarchy of models, of which the most
useful for geophysical applications is the model that
consists of one conservation equation for TKE (half
the square of the turbulence velocity macroscale q),
and a set of algebraic equations for turbulence second-
moment quantities. The resulting simplicity and the

potential ‘universality’ of application are of particular
interest in modeling OMLs. Since the most basic
description
of turbulence is incomplete without quantifying its
macro length scale l, this set is supplemented either by
auxiliary information on the turbulence length scale or
else by utilizing an equation for a quantity that
includes the turbulence length scale such as dissipation
(q3=l) or the product of the turbulence length scale and
twice the TKE (q2l). Figure 8 shows an example of the
accuracy attainable with a current-generation OML
model.

To summarize, there has been a significant increase
in our understanding of the OML in the last two
decades. However, much work remains. A better
understanding and quantification of the gravity-wave-
and buoyancy- and momentum-flux-driven near-sur-
face layers still remain elusive.

See also

Air–Sea Interaction: Surface Waves. Boundary Lay-
ers: Convective Boundary Layer; Neutrally Stratified
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Turbulence and Mixing.
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Introduction

Stable boundary layers are most commonly generated
by surface radiative cooling or advection of warm air
over a cooler surface. Turbulence transports heat
toward the cooler surface. The actual transfer of heat

to the surface occurs by thermal conductivity through
a thin laminar sublayer, perhaps only a fewmillimeters
thick. However, the rate of this heat conduction is
dictated by the downward turbulent transport of heat
to the laminar sublayer. Therefore, we concentrate on
the turbulent transfer.

The downward transport of heat corresponds to
downward buoyancy flux that destroys turbulent
kinetic energy. That is, the energy required to push
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Figure 8 Comparison of (A) observed and (B) one-dimensional

model-simulated mixed layer temperatures at Ocean Station
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good, given the large uncertainties associated with forcing param-

eters and the neglect of advection effects. (Kantha and Clayson,

2000.)
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warm, light air downward and lift cold heavy air
upward comes at the expense of the turbulence kinetic
energy (conversion of turbulence kinetic energy to
potential energy). Therefore, for a given wind speed
and surface roughness, the turbulence is weaker with
downward buoyancy flux compared to the case of no
buoyancy flux or upward buoyancy flux. In general,
the buoyancy flux is downward when the boundary
layer is stably stratified; that is, when the potential
temperature increases with height. To simplify discus-
sion of a very complex subject, we make an idealized
distinction between cases where such buoyancy effects
are weak or strong and then move on to consider
general aspects of the stable boundary layer, which
apply to a wide range of stabilities.

Basics

Turbulent fluctuations of a generic variable f are
mathematically defined as deviations from a mean
value as in eqn [1].

f0 � f� f ½1�
The overbar defines a time-, space-, or volume-
average. f may be potential temperature, one of the
three velocity components, or concentrations of gases
such as water vapor or carbon dioxide.

We proceed with time-averaging of the flow at a
fixed point in space. The turbulent vertical flux of
quantity f is then computed as expression [2].

w0f0 ½2�
The vertical flux may then be averaged over a longer
averaging time to reduce random flux errors. The
vertical divergence of the vertical flux appears in
the budget equation for f, such as the equations of
motion for momentum, provided that the averaging
process defined by the overbar satisfies Reynolds
averaging. This requirement is satisfied by simple
unweighted averaging. With filtering or a moving
average, additional flux terms result in the budget
equations. This topic is beyond the scope of this
article.

Fluxes in the stable boundary layer are often
formulated in terms of local vertical gradients through
use of an eddy diffusivity as in eqn [3], whereKf is the
eddy diffusivity for vertical transfer of variable f.

w0f 0 ¼ �Kf
qf
qz

½3�

Such a formulation is likely to be useful in the stable
boundary layer where the eddies are locally generated
by shear and are of small vertical scale. In contrast, the
eddy diffusivity is not likely to be useful in the

convective daytime boundary layer where large eddies
transport according to a vertical gradient over the
depth of the entire boundary layer (see Thermody-
namics: Moist (Unsaturated) Air).

The eddy diffusivity is often related to a form of the
Richardson number. The flux Richardson number is
defined in eqn [4], where yv is the averaged virtual
potential temperature.

Rf � � ðg=yvÞw0y0v
w0u0ðqu=qzÞ þw0v0ðqv=qzÞ ½4�

Often, the influence of moisture fluctuations on the
buoyancy are neglected so that yv is replaced by y. The
numerator of Rf is the buoyancy-destruction or
generation of the turbulence kinetic energy, while the
denominator is the shear-generation of turbulence.
The following considers positive Richardson numbers
where the turbulence is destroyed by buoyancy effects,
which can also serve as a definition of the stable
boundary layer.

Approximating the fluxes in terms of an eddy
diffusivity and rotating the x-coordinate into the
direction of the mean vertical shear, the flux Richard-
son number becomes as shown in eqn [5], where Km

and Kh are the eddy diffusivities for momentum and
heat, respectively.

Rf ¼ ðg=yvÞKhqyv=qz

Kmðqu=qzÞ2
½5�

The flux Richardson number then becomes Ri=Pr,
where Pr is the eddy Prandtl number, defined as
Km=Kh, and Ri, is the gradient Richardson number
defined by eqn [6].

Ri � ðg=yvÞqyv=qz
ðqu=qzÞ2 ½6�

In numerical models and with observations, the
gradients are approximated with finite differencing
between different discrete vertical levels, designated
by the d operator, which leads to the layer Richardson
number RiL given by eqn [7].

RiL � ðg=yvÞdyvdz
ðduÞ2 þ ðdvÞ2 ½7�

A bulk Richardson number for the entire boundary
layer is formed by choosing the two levels to be the
surface and the top of the boundary layer; that is,
replacing dz in eqn [7] with the boundary layer depth
and replacing du and dvwith the wind components at
the boundary layer top.

In some studies, the turbulence is considered to be
first generated when the layer Richardson number
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decreases to 0.25, referred to as the critical Richardson
number. This expectation is based on linear instability
theory in terms of the gradient Richardson number.
However, turbulence has been observed atmuch larger
values of the layer Richardson number. This could be
due in part to nonstationarity where the turbulence
decays over a finite period after the layer Richardson
increases above the critical value.However, the critical
value of the layer Richardson number may increase
with the distance between the vertical levels, dz.
Apparently, turbulencemay occur in sublayers smaller
than dz even if the layer Richardson number is large.

The eddy diffusivity,Kf, is sometimes formulated in
terms of a Richardson number. Some formulations
specify the eddy diffusivities to vanish at the critical
Richardson number, while other formulations, recog-
nizing the above complexities, specify the eddy diffu-
sivity to gradually decrease with increasing
Richardson number. The eddy Prandtl number
Km=Kh increases with the Richardson number, appar-
ently owing to some momentum transfer by gravity
waves.

If the eddy diffusivity represents the vertical turbu-
lent fluxover a horizontal area, the concept of a critical
Richardson number is not applicable. No matter how
large the Richardson number becomes, based on
spatially averaged variables, some intermittent turbu-
lence may occur somewhere within the area. Such a
horizontal area might correspond to a grid area in a
numerical model.

Weak Stability

With weak buoyancy effects, the boundary layer
turbulence is generally continuous in time and space.
The strength of the turbulence decreases with height
and vanishes at the top of the boundary layer. These
conditions often occur during the night with signif-
icant wind speed or cloudy conditions. The more
stable case, corresponding to clear skies and weak
winds, is discussed in the next section. Three idealized
layers can be defined in the weakly stable boundary
layer (Figure 1).

Roughness Sublayer

In the roughness sublayer close to the plant canopy,
the time-averaged flow varies spatially on the
scale of the plant elements and a universal flux-
gradient relationship seems unobtainable. For
example, the flux immediately above a plant will
be different from the flux at the same level between
plants. Although the roughness sublayer has been
studied in some detail, the generality of such studies
is unknown.

Surface Layer

Above the roughness sublayer, in the surface layer
(Figure 1), the individual plant elements no longer
induce small-scale horizontal variation of the time-
averaged flow. Then, the height above ground and the
Obukhov length (defined below) are the only relevant
length scales, in which case Monin–Obukhov similar-
ity theory is valid. This theory requires that the flow is
stationary and homogeneous and that z � h where h
is the boundary layer depth and z is the height above
ground. Sometimes, the surface layer is assumed to
extend upward to about 10% of the boundary layer
depth. This condition on depth allows neglect of the
height variation of the fluxes in the surface layer.

TheObukhov length is defined as in eqn [8],where k
is the von Karmen constant and g is the acceleration of
gravity, ðw0y0vÞ the kinematic virtual heat flux (buoy-
ancy flux) in the surface layer, assumed to be a good
approximation to the surface flux, and un is the surface
friction velocity, defined in eqn [9].

L � � yvu3n
kgw0y0v

½8�

un � ðw0u02 þw0v02Þ1=4 ½9�
In eqn [9] w0u0 and w0v0 are the components of
the momentum flux in the surface layer, also assumed
to be good approximations to the surface momentum
flux. The Obukhov length represents the relative
importance of mechanically generated turbulence

Residual layer

Boundary layer top

Boundary layer
interior

200 m

10 m

1 m
Surface layer

Roughness sublayer

Figure 1 Idealized layering of the stable boundary layer. With

strong stability, the vertical structure is less organized. The

numerical values of the heights above ground are just examples.

For example, the boundary-layer depth may be as small as a few

meters or larger than 500m.
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(shear-generated turbulence associated with the
roughness of the surface) to the buoyancy-destruction
(or generation) of turbulence. The ratio z=L is the
stability parameter, which ranges from zero at neutral
conditions (no virtual heat flux) to values on the order
of one and greater for very stable conditions.

The surface stress can be related to the wind speed,
V, with the bulk formula,written as in eqn [10], where
CD is the drag coefficient.

u2
n
¼ CDV

2 ½10�

The drag coefficient is formulated in terms of Monin–
Obukhov similarity theory as in eqn [11].

CD ¼ k
lnðz=zoÞ � cðz=LÞ
� �2

½11�

The parameter k is the vonKarman constant, typically
taken to be about 0.4. The stability function c is
specified to be a function of z=L, based on par-
ametrizations available in the suggested Further
Reading at the end of the article. For stable conditions,
the value ofc is negative, associated with reduction of
turbulent mixing by stratification. Thus, the drag
coefficient is small compared to the case of no virtual
heat flux ðcðz=LÞ ¼ 0Þ. The roughness length for
momentum zom represents the influence of the surface
on the momentum flux-gradient relationship in the
surface layer.Generally, a rougher surface corresponds
to a larger surface roughness length, which in turn
leads to greater turbulence. Corresponding relation-
ships for the transfer coefficients for surface fluxes of
heat, moisture, and other scalar quantities are defined
in terms of scalar roughness lengths. Over vegetated
surfaces, scalar roughness lengths are not as well
behaved as that for momentum. The stability func-
tions for scalars can be found in the Further Reading.
These references also include completely different
similarity theories for prediction of the drag coefficient
and transfer coefficients, which are defined in terms of
the geostrophic wind.

When evaluating similarity theory from actual
data, one must assess the importance of artificial
self-correlation. For example, CD is correlated
with c even if the fluxes are randomly generated
variables. This is because both CD and c are func-
tions of the surface friction velocity un. This self-
correlation can be eliminated by replacing the
stability parameter z=L with the surface bulk
Richardson number Rib given by eqn [12], which is a
form of eqn [7].

Rib � ðg=yvÞðyvðzÞ � yvðsfcÞÞz
ðVðzÞÞ2 ½12�

Here, yvðsfcÞ is the surface virtual potential tempera-
ture, corresponding to the ground surface temperature
(often the surface radiation temperature), and VðzÞ is
the wind speed at level z, which is within the surface
layer.

Boundary Layer Interior

Above the surface layer, the approximation of height-
independent fluxes is no longer valid. The fluxes
normally decrease with height and reach small values
at the top of the boundary layer. However, if the
Obukhov length is redefined in terms of local fluxes,
similarity theory can be restored in the form of local
scaling in which z=L is replaced by z=L, whereL is the
Obukhov length based on the local fluxes at height z.
The length scale L reduces to the Obukhov length
when z is in the surface layer.

The vertical structure above the surface layer is
often expressed as functions of z=h, where h is the
boundary layer depth. For example, the eddy diffu-
sivity is sometimes modeled as a function of z=h. The
classical Ekman solution is a special case where the
eddy diffusivity is a function of z=h, and a balance is
maintained between the vertical divergence of the
momentum flux, the horizontal pressure gradient
and the Coriolis force. The simplest form of the
Ekman solution assumes a height-independent eddy
diffusivity.

Boundary Layer Top

Sometimes the top of the stable boundary layer is
viewed as an entrainment layer where turbulent
eddies engulf air from above the boundary layer
and mix it downward. This concept applies with
growing stable boundary layers, usually corres-
ponding to windy conditions. During fair weather
conditions, the air above the nocturnal boundary
layer would have been within the deeper convective
boundary layer in the daytime. This layer above
the nocturnal boundary layer is referred to as the
‘residual layer’ (Figure 1). This layer ‘remembers’
the daytime convective layer in that the stratifica-
tion usually remains weak. As a result, modest
vertical shear generates turbulence in the residual
layer.

The depth of the stable boundary layer is sometimes
modeled by assuming that the bulk Richardson
number for the boundary layer is equal to a critical
value or constantly adjusts toward the critical value.
Other formulations express the boundary layer depth
in terms of length scales such as un=f , where f is the
Coriolis parameter. These formulations do not apply
at low latitudes.
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Strong Stability

The very stable boundary layer occurs with clear
nocturnal skies and weak winds or with advection of
warm air over a much cooler surface. The very stable
boundary layer is of considerable practical impor-
tance. The absence of significant mixing allows
buildup of high concentrations of contaminants near
the surface. Frost damage is most likely to occur in the
very stable case where the downward turbulent heat
flux from above is suppressed (Figure 2), leading to
even greater surface cooling.

With strong buoyancy effects, the turbulence is
more likely to be intermittent, with brief episodes of
turbulence separated by intervening periods of rela-
tively weak or unmeasurably small fluctuations. The
term intermittency is somewhat ambiguous in that all
turbulence is considered to be intermittent to the
degree that the fine scale structure occurs intermit-
tentlywithin larger eddies. This intermittencywithin a
given large eddy is referred to as fine scale intermit-
tency.

Global intermittency defines the case where eddies
on all scales aremissing or suppressed on a scale that is
large compared to the large eddies. Global intermit-
tency is sometimes viewed as a sequence of events
beginning with reduction of the mean shear by mixing
and the corresponding increase of the Richardson
number to values greater than the critical value. This
stage is followed by collapse of the turbulence.
Without vertical mixing, the mean shear rebuilds
such that the Richardson number falls below the
critical value and turbulence is regenerated. With this
interplay between the turbulence and mean shear, the
Richardson number stays close to the critical value.

Additional characteristics of the very stable case
may include significant gravity wave transport, layer-
ing of turbulence, and the absence of a well-defined
boundary layer top. The boundary layer may assume
an upside-down form, where the principal turbulence
is detached from the surface. This detachment may be
only temporary since decoupling with the surface
leads to flow acceleration above the stable layer
adjacent to the surface. The resulting development of
shear generates turbulence and recoupling with the
surface (Figure 3). Thus, the concept of an upside-
down boundary layer, top-down transport of turbu-
lence kinetic energy toward the surface and cyclic
behaviour about a critical value of the bulk Richard-
son number may all be related.

However, a unified picture or theory of the very
stable case does not exist owing toboth the difficulty of
measuring weak intermittent turbulence with existing
instrumentation and the complex multitude of differ-
ent physical processes with strong stability.

Very Stable Surface Layer

The turbulence and eddy diffusivity near the surface
are sometimes observed to decreases rapidly as z=L
exceeds a critical value, as qualitatively sketched in
Figure 2. This rapid decrease marks the beginning of
the very stable regime.Unfortunately, the critical value
of z=L varies between observational studies. The
downward heat flux seems to reach a maximum value
at the beginning of the transition between the weakly
and very stable cases. With stronger stability, the
vertical velocity fluctuations are suppressed, which
reduces the downward heat flux. For weaker stability,
the temperature fluctuations are small as a result of
small vertical gradients of potential temperature. The
downward buoyancy flux vanishes as the vertical
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Figure 2 Typical variation of the eddy diffusivity and the virtual

heat flux with stability, z=L, or Rib.
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Figure3 Hypothetical schematic of one typeof diurnal variationof

the nocturnal boundary layer. Shaded regions indicate turbulence.
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gradients of potential temperature vanish (neutral
stability).

Virtually all models apply Monin–Obukhov simi-
larity theory to the first model level above the surface
to estimate surface fluxes, even for very stable condi-
tions where Monin–Obukhov similarity may apply
only to levels below the first model level, or may not
apply at all. No other practical formulations exist.

The turbulence in the very stable surface layer may
be intermittent, sometimes related to downward
bursts from turbulence generated aloft. Clear air
radiative flux divergence, transport by nonlinear
gravity waves, drainage flows, and surface heteroge-
neity (see later) may invalidate assumptions required
for Monin–Obukhov similarity theory.

Interior of the Boundary Layer

Above the surface layer in very stable conditions, the
eddies may no longer ‘feel’ the influence of the ground
and the height above ground is no longer a relevant
variable. This is referred to as ‘z-less’ stratification.
This flow cannot be modeled in terms of dependences
on z=h since z is not a relevant variable and the
boundary layer depth may not be definable.

Upside-down Structure

Some very stable boundary layers take the appearance
of an ‘upside-down’ boundary layer where the main
source of turbulence is elevated and detached from the
surface. In one scenario, turbulence adjacent to the
surface collapses in the early evening, while some
decaying turbulence remains at higher levels for a finite
period of time (Figure 3). Flow above the surface
inversion layer is now decoupled from the surface
stress and accelerates, often leading to a low-level jet.
The associated shear may induce turbulence above the
surface inversion layer, which bursts downward
toward the surface (Figure 3). Downward bursting
of turbulence is one cause of intermittent turbulence at
the surface.

With the upside-down structure, the usual concept
of a boundary layer breaks down. We retain the term
‘boundary layer’ because the turbulence may be
intermittently coupled to the surface. In addition, the
detached turbulence is often generated by shear
associated with drainage flows, low-level jets, and
gravity waves that are induced by surface processes.
The detached turbulence may also be associated with
the residual layer above the surface inversion,which in
the early evening is characterized by decaying turbu-
lence from the daytime boundary layer.

Similar behaviormay occurwith advection ofwarm
air over a much colder surface. For example, in
advection of warm daytime air from land over colder

water, the cooling of the air in contact with the water
surface leads to strong stratification and suppression
of the turbulence near the surface.

Low-level Jet andElevatedTurbulence

Shear-generationof turbulence at the topof the surface
inversion layer sometimes results from formation of a
low-level nocturnal jet. A nocturnal maximum in the
wind profile can be generated by cooling over sloped
terrain or inertial effects, described below.

Cooling over sloping terrain leads to a time-
dependent, height-dependent horizontal pressure gra-
dient force, which generates low-level flow. Small-
scale sloping terrain leads to nonhydrostatic down-
slope drainage flows, which can be significant even
over weak slopes if skies are clear and the large-scale
flow is weak. On larger scales, the pressure field is
hydrostatic. On still larger scale slopes, the flow
becomes influenced by the Coriolis parameter.

As the second mechanism, nocturnal low-level jets
are driven by ageostrophic flow caused by daytime
frictional effects in concert with collapse of the
daytime boundary layer in late afternoon. The turbu-
lence and stress divergence vanish above the new thin
nocturnal boundary layer, leading to an imbalance
between the Coriolis and horizontal pressure gradient
terms. This in turn induces an inertial oscillation.
Spatial variations of the inertial oscillation generate
vertical motions and adjustment of the pressure field,
which feeds back upon the inertial oscillation.

Mesoscale Variations

Nocturnal mesoscale motions include cold air drain-
age and meandering motions, which might propagate
from outside the local domain. Meandering motions
refers to the ‘flopping around’ of the wind vector, most
obvious with weak nocturnal airflow. Although me-
andering has been attributed to a variety of physical
mechanisms, its link to thesemechanisms has not been
established from observations. It is not clear whether
such motions systematically degrade Monin–
Obukhov similarity theory. These mesoscale motions
become relatively more important for the very stable
case, partly because the turbulence is weaker.

Mesoscale motions may be locally generated in
stably stratified flows by turbulence that decays into
mainly horizontal motions, sometimes referred to as
one type ofmeanderingmotion. Vortexmotions in the
horizontal plane (vertical vorticity) may merge into
larger vortices, corresponding to upscale energy
transfer. Such meandering can be augmented by
topography. These layeredmotions randomly enhance
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the shear between layers, which in turn intermittently
regenerates local turbulence.

Vegetation Canopy

Most land surfaces are covered with some type of
vegetation canopy, which substantially impacts the
structure of the nocturnal boundary layer near the
surface. The vegetation causes microscale variability
on the scale of individual plants, leading to the
roughness sublayer. With a partially open canopy,
the subcanopy air is significantly stratified at night,
partly owing to direct radiative cooling of the ground
surface between the trees (Figure 4A). The net
radiative cooling under each tree is small owing to
downward longwave radiation emitted by the tree.
With a closed canopy, the subcanopy flow may be
stably stratified in the daytime and less stratified at
night when the inversion is concentrated in the upper
part of the canopy (Figure 4B). Some of the air cooled
at the canopy top sinks into the subcanopy, leading to
vertical mixing of the subcanopy flow.

Irregularity of the canopy top may induce gravity
waves in the nocturnal boundary layer. The nature of
the flux-gradient relationship in the gravity wave layer
is not known.

Enhanced Influence of Surface
Heterogeneity

Since vertical mixing in the very stable boundary layer
is due to weak small eddies, small-scale heterogeneity

may become important even though the influence
of the same surface heterogeneity in daytime,
convectively heated, boundary layers is eliminated
by large convective eddies. Such small-scale hetero-
geneity might include clumps of trees or bushes,
isolated buildings, or horizontal variation of heat
flux from the soil due to variations of soil type
and moisture on horizontal scales as small as tens
of meters. The nocturnal boundary layer is slow
to adjust and is therefore easily influenced by
surface heterogeneity. On the other hand, mesoscale
surface heterogeneity over flat surfaces with
stable stratification is less likely to generate its own
secondary circulation since stationary vertical
motion fields are inhibited by the stratification
through hydrostatic pressure adjustments. For
example, rising motion induced by a relatively
warm surface area generates adiabatic cooling in
the stratified atmosphere, which acts to increase
the surface pressure, which in turn opposes the
horizontal inflow.

Nomenclature

CD surface drag coefficient
f Coriolis parameter (s�1)
g acceleration of gravity (m s�2)
h boundary layer depth (m)
K eddy diffusivity (m2 s� 1)
k von Karman constant
L Obukhov length (m)
Pr eddy Prandtl number
f generic variable
c stability function for Monin–Obukhov

similarity
Rf flux Richardson number
Ri gradient Richardson number
RiL layer Richardson number
Rib bulk Richardson number
Rnet net surface radiation (Wm�2)
yv virtual potential temperature (K)
ðu; v;wÞ velocity components in the x; y, and z

directions (m s� 1)
un surface friction velocity (m s�1)
z0 roughness length for momentum (m)
V wind speed (m s�1)

See also

Agricultural Meteorology and Climatology. Boun-
dary Layers: Complex Terrain; Convective Boundary
Layer; Neutrally Stratified Boundary Layer. Land–
Atmosphere Interactions: Canopy Processes.
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Figure 4 The nocturnal boundary layer for (A) an open canopy

and (B) a closed canopy. Rnet is the net radiation. The potential

temperature profile is indicated on the left.
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Introduction

The lowest layer of the atmosphere, the surface layer,
directly influences the daily activities of nearly all life
on planet Earth. Extending up to an altitude of order
50–100meters, it possesses physical and chemical
properties long recognized as having a controlling
influence over a wide range of human and societal
interests. For example, in 600 BC, the force of the wind
acting against the flow of the Nile was already being
used as a secondary process included in flood forecasts
in ancient Egypt. By 2000 years ago, simple climatol-
ogies of near-surface wind directions were the basis of
weather forecasts in theMediterranean, for use in both
military and commercial activities. By the late Middle
Ages in both Europe and China, sailing ships were
being designed to exploit the greater wind speeds
which regularly were observed at increasing heights
above the surface. In fact, the Chinese used kites to
study surface layer wind profiles as early as 1400 years
ago.More recently, i.e., in the early twentieth century,
pollutant dispersion models were designed, based on
anthropogenic emissions from point sources (such as
smokestacks) and wind statistics, in order to estimate
human exposure and deposition downwind. Some of
the greatest challenges we face today in areas such as
remote sensing involve understanding the relationship
between the surface layer and the underlying terres-
trial biosphere and oceans.

The tight interplay of the atmospheric surface layer
and its involvement in surface energy exchanges is an
essential ingredient in understanding both local and
global climatology. The driving local process is a large

downward flux of solar radiation, absorbed at the
earth’s surface during the day, and which in turn is
converted rapidly to heat. While some of the solar
heating is transferredwithin and down into the surface
canopy, the highly turbulent nature of the surface layer
over (low-heat-capacity) terrestrial surfaces allows a
rapid upward flux of heat back into the atmosphere.
Because the upward flux of heat is due to turbulence
rather than to the less efficient laminar diffusion
process, it averts the huge daily temperature extremes
whichwould otherwise be encountered (such as on the
Moon). On the other hand, during clear nights, the
upward flux of infrared radiation combined with
nearly no turbulence during calm conditions often
leads to the more extreme cold nights. Note that if the
nocturnal surface layer is otherwise windy, the asso-
ciated higher turbulence levels would provide an
efficient mechanism for transferring heat rapidly
down to the surface, thus reducing the rate of
nighttime cooling. From both a scientific and a social
perspective, it is the presence or absence of turbulence
in the surface layer which acts as a control over the
degree towhich humans and surface-based ecosystems
are exposed to diurnal and climatic extremes.

In the atmospheric sciences, the depth of the surface
layer is, by convention, defined as being 10% of the
depth of the full planetary boundary layer (PBL)
(Figure 1). With a PBL depth typically in the range of
several hundred to 1500m deep and capped by an
overlying inversion, the wind speed, temperature, and
humidity change rapidly with height throughout the
surface layer; they then approach more constant
values with height until they reach the inversion. The
wind direction, in contrast, is relatively constant with
height in the surface layer, then begins to change
direction rapidly as height increases. The change of
wind direction with height is due mostly to the
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influence of the Earth’s rotation. As one might expect,
owing to the generally higher wind shear near the
surface, the turbulent downward momentum flux is
maximum at the surface and approaches zero with
height until it reaches the top of the PBL. While the
surface layer can thus be characterized by vertical
gradients of, e.g., wind speed and temperature, it has
no identifiable top.

The surface layer may also be defined to be the
lowest layer where the momentum flux is within 90%
of its surface values. For this reason, the surface layer
becomes a ‘nearly’ constant flux layer. Other flux
gradients, such as those for temperature and gases,
may behave differently, e.g., owing to thermodynamic
influences or chemical reactions. However, because
the vertical gradients of windspeed, temperature, and
gas concentrations tend to be orders of magnitude
larger than vertical gradients of their counterpart
fluxes, many practitioners treat the surface layer as
equivalent to a ‘constant flux’ layer. The reader is
reminded that this is only an approximation.

In the next section, a brief survey of surface layer
turbulence is given. This is followedby a description of
similarity theory and its applications, sampling meth-
ods, and a survey of the theory of trace gas exchange.
The summary will highlight recent and new applica-
tions of surface layer research.

Surface Layer Turbulence

While wind speed increases with height (owing to
surface frictional effects), the surface layer is charac-
terized by shear induced turbulence, which acts to
transfer momentum, heat, and mass vertically within
the air column. The strength of the turbulence,
however, depends on other characteristics, namely
surface roughness and atmospheric stability. For
example, for a given wind speed over a rough surface,
e.g., where forests or houses are present, the vertical
mixing of momentum and heat is rapid and efficient

compared with over smoother surfaces such as the
ocean. The surface roughness also has a controlling
influence on the shape of the wind and temperature
profiles, which in turn affects themagnitude of surface
fluxes.

Atmospheric stability plays a quite different role.
Unstable stratification, such as one often finds on a hot
summer afternoon, augments the turbulence levels
with extra energy provided by the buoyant thermal
plumes and eddies caused by surface heating from the
sun. At night, the thermal eddies are generally absent,
thus leading to stratified conditions and suppressed
levels of turbulence. In the simplest form of surface
layer theory, e.g., for neutral stratifications, turbulent
eddies can be best described as simple wind velocity
fluctuations with respect to the mean flow, where time
and length scales of the fluctuations are associated
with the localwind shear and height above the surface.

A time series of turbulent fluctuationswill show that
a simple view is insufficient to describe the real
complexity of the surface layer. Unlike the simplistic
view of shear creating characteristic eddies, field
measurements have shown that eddies of many scales
coexist at any given height. Scientists have therefore
computed turbulence spectra, based on sampling
height and characteristic surface layer properties,
e.g., stability and roughness. Each of the eddies in
the spectrum can, in turn, be assigned a kinetic energy.
For those smallest-scale eddies (of order 1mm),
turbulent kinetic energy is quickly converted to heat,
thus implying that the source of energy occurs at
larger-scales. It therefore follows that energy flows
from the largest-scale eddies to the smallest ones,
through an ‘energy cascade’. In practice, the eddies
smaller than around a fewmeters are often assumed to
be advected by the mean wind, yet also scale with
height above the surface.Usually referred to as ‘frozen’
turbulence during the advection process, Taylor’s
hypothesis is often invoked for these small eddies,
where the eddy’s wavenumber, kl, can be related to its
frequency, f , in Hz. Observed by fixed measurement
sensors, the Taylor’s hypothesis is expressed by the
following relation:

kl ¼ 2pf
U

½1�

where U is the mean windspeed.
Themost important part of the turbulence spectrum

for use in a wide variety of applications is the inertial
subrange, which in turn includes turbulence scales
spanning from order 1 cm up to around 1m. Within
this subrange, turbulent eddies also intimately partic-
ipate in transferring energy to higher frequencies (to
smaller scales), and one may assume that the spectral
density, SðklÞ, can be scaled to the rate of turbulent
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energy dissipation, e, associated with the smallest-
scale eddies. The classical formof the inertial subrange
is written as

SðklÞ ¼ ae2=3k�5=3
l ½2�

where a ¼ 0:52. The lowest frequency applicable to
the scaling in eqn [2] is both height- and wind-speed-
dependent, and a practical lower limit, in Hz, is U=z.
In stark contrast to the small-scale eddies, the largest-
scale eddies, of order 100m or more, observed within
the surface layer have sizes generally controlled by
convective activity and other organized motions
within the full planetary boundary layer. These large-
scale eddies are sometimes even influenced by gravity
waves within the inversion above the PBL.

The turbulence levels and fluxes within the surface
layer may be written mathematically in terms of
physical balances derived from the Navier–Stokes
equation and other mass budget equations. The most
important equation used for practical application to
surface layer phenomena is the turbulent kinetic
energy (TKE) budget, written as

q�ee
qt

¼�U
q�ee
qx

� u0w0 qU
qz

� qw0e0

qz
� 1

r
qw0p0

qz

þ g

Tv

qw0T 0
v

qz
� v

qu0
iqu

0
i

qxjqxj
½3�

In [3], the quantities u0, v0, and w0 represent the
fluctuating downwind (x-direction), crosswind (y-
direction), and vertical (z-direction) wind velocity
components. e is TKE per unit volume ðEÞ, normalized
by density ðrÞ, i.e.

�ee ¼ E

�rr
¼ 1

2
u0
iu

0
i ½4�

and the instantaneous contribution to the TKEmay be
denoted as

e0 � 1

2
u0
iu

0
i ½5�

The virtual temperature, Tv, is defined as
Tð1þ 0:61qÞ, where T is temperature and q is
humidity. The first term on the r.h.s. of [3] represents
the rate of change of TKE due to advection. The second
term represents shear production. The third term is the
flux divergence of TKE, while the following term is the
divergence of pressure flux. The fifth term on the r.h.s. is
TKE production or loss due to buoyancy, and the last
term is the loss of TKE due to viscosity.

Because the complexity of eqn [3] prohibits easy
application, simplifications are introduced to reduce
the set of independent variables so that solutions may
readily be obtained. The most notable simplifications

are the assumptions of steady state, horizontal
homogeneity of all quantities, mean vertical velocity
of zero, and lateral symmetry in turbulence and fluxes
with respect to the mean downwind direction. This
leads to:

� u0w0 qU
qz

¼ g

Tv

qw0T 0
v

qz
� eþ �II ½6�

where the last term on the r.h.s. of [6], i.e., the
imbalance, is the sum of the terms representing the
pressure flux divergence and the energy flux. While
most experimentalists assume that the imbalance term
can be neglected during most conditions, there is a
body of research in recent years which suggests that
the imbalance term is often large and must not be
ignored. To date, there have been no parameter-
izations of �II published in the literature for easy
application.

The solution to eqn [6], where �II is unfortunately
assumed to be negligible in nearly all cases, has
provided applications in acoustic and radar scattering
associatedwith turbulence, and this equation serves as
the basis for measurements of fluxes via the ‘dissipa-
tion technique’ on towers, ships, offshore buoys, and
aircraft. The simplification of ignoring �II, however, has
introduced substantial uncertainty in the use of eqn [6]
in some regions of high scientific interest, e.g., in
coastal zones and in heterogeous terrain.

Similarity Theory and Bulk
Aerodynamic Relations

For many of the more important applications of
surface layer theory, e.g., in estimating loads on
structures and in support of pollutant dispersion
calculations, information on the vertical profiles of
wind speed, temperature, humidity, refractivity, and
turbulence levels is necessary. In addition, estimates of
the surface fluxes based on easily obtained observa-
tions of mean surface layer quantities (such as wind
speed, temperature, etc.) are highly desirable for both
the surface and remote sensing communities as well as
climate modeling. It was partly to satisfy these needs
that similarity theory was developed.

Similarity theory is based on the assumption that
dimensionless groups of variables may be arranged in
terms of functional relationships to the flow field, and
where the number of variables is reduced to a closed
set for easy application. The surface layer has been best
described by the similarity theory proposed byMonin
and Obukhov, hereinafter referred to as MOS theory.
In MOS theory, it is postulated that the fundamental
scales required to represent processes within the
surface layer are the friction velocity un (denoted as
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the square root of� u0w0); the surface heat fluxw0T 0
v;

the height above the surface, z; and the buoyancy
parameter, g=Tv. It was furthermore assumed that the
surface layer is a constant flux layer, for momentum,
heat, and gases.

Based on the original MOS theory presented in the
early 1950s, the profiles of any bulk quantity,X,which
satisfies the assumptions behind MOS theory (includ-
ing a constant flux layer for each compound) may be
written in the following form:

qX=qz ¼ Xn

kz
fx ½7�

where X ¼ ðU; Tv; q; etc:Þ. The quantity Xn repre-
sents the turbulent vertical flux ofX normalized by un,
and the function fx depends on stratification, as will
be described shortly. For windspeed and temperature,
eqn [7] may be rewritten as

qU
qz

¼ un

kz
fU ½8a�

qT
qz

¼ Tn

kz
fT ½8b�

where the vonKarman constant,k, has a value of 0.4. In
eqns [8a] and [8b], the functions, fU and fT are
formulated in terms of a dimensionless stability param-
eter, z=L, where z is measurement height and L is the
Monin–Obukhov length. The dimensionless stability
parameter is based on the ratio of the shear-induced
TKE to the buoyancy-induced TKE, i.e., it is propor-
tional to the ratio of the first term on the r.h.s. of
eqn [6] to the term on the l.h.s. of eqn [6]. Thus one
may write

z=L ¼ gkzw0T 0
v

Tvun3
½9�

Integration of eqn [8a] will yield a logarithmic
profile ofwind speed, if one specifies a value of zero for
the wind speed at a small height above the surface
denoted as z0, i.e., the roughness length. For temper-
ature, the integration of eqn [8b] requires setting the
surface temperature at an analogous height above the
surface, i.e., z0T . It is generally assumed that the lower
boundary ‘roughness lengths’ are related to the phys-
ical characteristics of the surface.

As an illustration, upon integration of eqns [8a, b]
one obtains

U �U0 ¼ un

k ln z=z0 �Cm
½10a�

T � T0 ¼ Tn

k ln z=z0T �CT
½10b�

where Cm, and CT are stability functions, and
Tn ¼ w0T 0=un. For neutral stratifications, i.e., where
qTv=qz ¼ 0, the stability functions equal zero; posi-
tive/negative values of Cm and CT correspond to
unstable/stable stratifications. The functional rela-
tionships between Cm and fu, and CT and fT, may
be found in most references following this article.
Rearrangement of eqns [10a] and [10b] yields
the bulk aerodynamic relations for momentum and
temperature fluxes, e.g.,

un2 ¼ CD U �U0ð Þ2 ½11a�

unTn ¼ CH U �U0ð Þ T � T0ð Þ ½11b�
where the quantities CD and CH are respectively the
drag coefficient and the Stanton number, i.e.,

CD ¼ k

ln z=z0 �Cm

� �2

½12a�

CH ¼ k

ln z=z0 �Cm

� �
k

ln z=z0T �CT

� �
½12b�

A similar relation can be derived for the humidity
profile and its coefficient, the Dalton number.

The beauty of the derivation of the drag and other
flux coefficients is that they, at least in theory, do not
depend on wind speed and are weakly dependent on
height, roughness, and typical ranges of atmospheric
stability. We note herein that strongly stable stratifi-
cations do, in fact, lead to much smaller fluxes, i.e.,
when compared with neutral conditions.

The flux coefficients are based on field observations,
collected from platforms which are preferably stable
and with minimal flow distortion. In the scientific
literature, the coefficients are often reported under the
condition of neutral stratification and with a standard
height (usually 10m above the surface) so that they
may be compared easily with other data sets and/or
integrated into models as general parameterizations.

Applications of MOS Theory to
Sampling of the Surface Layer

Most modern research into the characteristics of the
surface layer has relied on very complicated measure-
ments. Flow distortion, weathering, platform mo-
tions, and the simplifying assumptions associatedwith
specific methods have made both the measurements
and subsequent interpretations of data difficult. Until
the 1970s, themost commonmethodof gathering data
was via vertical profiles of the average wind speed,
temperature, and humidity. This method relied on the
rearrangement of eqn [10] into a form where (x; y)
plots of windspeed versus the natural logarithm of

308 BOUNDARY LAYERS / Surface Layer



height yielded information on the friction velocity and
surface roughness simultaneously. As an example,
for wind speed, the slope is (un=k) and the bias is
½ðun=kÞðln z0 þCmÞ� when one plots data in a form
where ðx; yÞ ¼ ðU �U0; ln zÞ.

During the 1970s and 1980s, the sonic anemometer
and other fast-response instruments for measuring
temperature and humidity rapidly replaced the profile
technique with directly measured fluxes using eddy
correlation. This technique relies on the Reynolds
averaging of the equations of motion, where an
ensemble average and fluctuation about the average
are substituted for each constituent variable. The
turbulent flux w0x0h i is expressed in terms of both
its mean and fluctuating parts, yielding a general
form,

Flux ¼ wh i xh i þ w0x0h i ½13�
where the vertical velocity w ¼ wh i þw0; and the
parameter undergoing turbulent exchange is repre-
sented as x ¼ xh i þ x0. By applying the constraint that
wh i is zero, the turbulent fluxes reduce to their more
common form,

Flux ¼ w0x0h i ½14�
For momentum, eqn [14] must be treated in its vec-
tor form and account for both the downwind and
crosswind velocity components of the surface stress
vector, s:

s=r ¼ � u0w0h ii� v0w0h ij ½15�
The constraint imposed on eqns [14] and [15] requires
that the averaging time is long enough for wh i to
approach zero, and for enough important atmospheric
eddies to have been sampled to reduce the standard
error of variance to an acceptable level. It is generally
recommended that one averages the turbulence time
series over periods of 30min to 1 h. For heat, the
density flux is written in analogy to eqn [14], as
proportional to w0T

0
v

� �
, andwater vapor flux is simply

written as w0q0h i.
During the 1980s and 1990s, the dissipation meth-

od became a popular sampling technique, owing to its
relative insensitivity to platform motions (such as
those of buoys) and shorter averaging time than for the
eddy correlation technique. The dissipation technique
is based on rapid sampling of the one-dimensional
turbulence spectrum of constitutent ‘x’ and applica-
tion of the turbulent budget equation applicable to ‘x’.
For the case of momentum fluxes, the TKE budget
denoted in eqn [6] and the formof the inertial subrange
denoted by eqn [2] must both be combined into a
formwhere un is related to the level of energy densities
in the inertial subrange of measured TKE spectra.
Noting that un3 ¼ ekz, i.e., where the imbalance term

in eqn [6] is ignored, one obtains

SðklÞ ¼ aðkzÞ�2=3un2k
�5=3
l ½16�

In addition to momentum, the dissipation method
has been applied to infer temperature, water vapor,
and carbon dioxide fluxes. As techniques begin to
emerge for other compoundswhere sampling frequen-
cies are greater than 1Hz, the dissipation method will
no doubt gain popularity across a broad range of
species and applications. The challenge, however,
remains how to deal with imbalance terms, not only in
the TKE budget but also in variance budgets for
temperature and gaseous compounds.

Trace Gas Exchange

Simple models for the surface exchange of trace gases
exhibit more complexity than the bulk aerodynamic
relations described in the previous sections. Not only
does turbulent transfer in the surface layer play a key
role, but one must consider the reactions of the
compound with both other atmospheric species and
with the surface. For chemical compoundswhich have
reaction time scales which are long compared with
surface layer turbulence time scales, the constant flux
layer assumption may be invoked. This applies to
gases such as CO2, O2, and SO2. However, if the
reactions are relatively fast, in particular with respect
to the time scales of surface layer turbulence, a flux
divergence of the particular compound will occur.
Species such asHNO3 andNH3 are examples, and the
following equation must be solved in this case:

U
qc
qx

þ q w0c0h i
qz

¼ S ½17�

In eqn [17], S represents a production or loss of
chemical concentration, c, based on chemical reac-
tions. Because of the risk of other processes which are
more important than turbulent transport, this balance
tests the limits of similarity theory applicable to the
surface layer. In spite of this shortcoming, the scientific
community has proceeded to produce a body of
literature in which most assumptions are ignored if
one can use reference heights which are closer to the
surface, i.e., where characteristic turbulence time
scales are much smaller.

An alternative approach to measure gas fluxes is
based on the concept of the deposition velocity, vd.
Here one uses various additive resistances associated
with the flow of compound, c.

vd ¼ w0c0h i= c� csð Þ ¼ ra þ rbð Þ�1 ½18�
where ra is the aerodynamic resistance governing
turbulent transport of species c; and rb is the surface
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resistance, governing the diffusion transport over the
laminar sublayer. The surface concentration, cs, is set
to zero for many gases, exceptions being some of the
biogenic related gases (e.g., CO2 and NH3) which can
exhibit high surface concentrations in some media. In
essence, eqn [18] implies that the turbulent transport
associated with ra represents the maximum possible
deposition velocity for any species undergoing air–
surface exchange ð¼ 1=CDUÞ, and rb is a correction
factor which depends on the properties of the parti-
cular compound undergoing air–surface exchange.

The surface resistance, rb, is more difficult to
describe. The quantity rb is based on the assumptions
(1) that there exists a relatively homogeneous laminar
sublayer at the surface, and (2) that the physical
characteristics of the surface and the biological char-
acteristics govern the rate of diffusion.

Flux Profile Relations for
Quasi-inhomogeneous Conditions

The MOS theory is generally supported by a set of
assumptions which requires averaging over spatial
scales of order 25 km or more. In recent years,
however, computer power has allowed much finer-
resolution models to be developed, and there has been
a challenge to surface layer theorists to relax the
requirements of horizontal homogeneity, steady state,
and long averaging, yet still produce accurate flux
estimates on scales as small as 1 km. Several modified
theories have been introduced, some of which employ
results of large eddy simulations while others explore
the use of ‘flux footprints’ and local internal boundary
layers.

In regions which exhibit systematic horizontal
variability as continuous functions, the flux profile
relations may be written in a modified form. For wind
speed, one may write

qU=qz ¼ un=kzð Þ fu � R� SþW þGð Þ ½19�

where R ¼ gz=z0 qz0=qx, S ¼ bg z=Lð Þ2 qL=qx, W ¼
ðkzU2=2un3Þ qU=qx, and G ¼ kzfVgU=2un3 . The
quantity g represents the local slope of vertically
diffusing properties from upwind surface flux foot-
prints. The term Wm has been shown to be substan-
tially more important on scales less than 1 km over
the coastal ocean. Over land, both may be compet-
ing strongly in terrain with variable roughness
characteristics.

The concept of the flux footprint emerged during the
last decade, and it has strongly influenced the require-
ment of local horizontal homogeneity. The flux
footprint is an upwind elliptical surface patch which
has roughness characteristics affecting the downwind

turbulence, flux, and bulk profiles at some point above
the surface, such as on a fixed mast. For neutral
stratifications, the flux footprint affecting turbulence
andfluxes is located upwind at a distance between40 h
and 100 h, where h is the height above the surface such
as on amast. For practical and simple applications, the
slope of the vertically diffusing properties of the
upwind surface footprint to the local measurement
height is around 1

70, for neutral stratifications.

Challenges and New Directions

The state of our present knowledge of the surface layer
has been built from the similarity paradigm introduced
in 1954 by Monin and Obukhov. This theory proved
quite successful, particularly on spatial scales which
are greater than 25 km and temporal scales of order
1 h. During recent years, however, the scientific
challenges given bymesoscale and boundarymodelers
and other applied customers involve scales up to three
orders of magnitude smaller than scales which the
research community explored even two decades ago.
Obviously, the problems of determining the momen-
tum flux to swell and wind waves, and the problem of
estimating ammonia deposition patterns near the edge
of sensitive forested ecosystems, are good examples
where the basic assumptions of similarity theory have
become routinely violated. For this reason, one may
expect that studies of surface layer theory will soon
enter a new era, where advanced modeling techniques
will be combined with multiscale in-situ and remote
sensing systems.

See also

Air–Sea Interaction: Momentum, Heat and Vapor
Fluxes. Boundary Layers: Neutrally Stratified Boundary
Layer; Observational Techniques In Situ. Land–Atmos-
phere Interactions: Trace Gas Exchange. Parameter-
ization of Physical Processes: Turbulence and Mixing.
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Introduction

Windstorms produced by complexes of convective
storms (thunderstorms) pose a significant hazard to
life and property in many places of the world,
especially during the spring and summer months.
The largest and most long-lived of these events have
been given a generic name of ‘derecho’, a term that
originated in the late 1800s to refer to convective
systems producing wide and long swaths of straight-
line wind damage. Detailed studies of convective wind
events, however, have shown that a vast majority are
associated with a particular type of organized convec-
tive system, more popularily referred to as a ‘bow
echo’. This chapter describes the basic structures and
environments associated with bow echoes and der-
echoes, and further highlights some of the recent
research that clarifies the mechanisms critical to their
development and maintenance.

Bow echoes and derechoes form a subset under the
more general heading of mesoscale convective sys-
tems, which include squall lines, mesoscale convective
complexes, and the like. In all of these cases, the system

is envisioned to be composed of a sequence of
relatively independent convective cells that contribute
collectively to a larger system-scale structure. The
individual convective cells can be ordinary cells,
multicells, or supercells, as described elsewhere in
the encyclopedia (see Convective Storms: Overview).
In the following, we emphasize the system-scale
attributes that have led to these particular systems
being identified for their unique form of meso-
convective organization.

Bow Echoes

Bow echoes, originally referred to as a line echo wave
pattern (LEWP), are most readily identified by a
persistent bow-shape on a radar screen, and have
become especially associated with the production of
long, narrow swaths of damaging surface winds.
Much of what we know observationally concerning
bow echoes originated with Dr T. T. Fujita, who spent
much of his career trying to characterize and under-
stand the types of convective systems most apt to
produce severe weather such as downbursts and
microbursts.

A typical evolution andmorphology of radar echoes
associated with a severe bow echo is presented in
Figure 1. The system usually begins as a strong
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Figure 1 A typical morphology of radar echoes associated with bow echoes that produce strong and extensive downbursts, labeledDB

on the figure. (Reproduced with permission from Fujita, 1978.)
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convective cell or a short line of convective cells that
may be either isolated or embedded within a more
extensive squall line. As the strong surface winds
develop, the initial cell evolves into a bow-shaped line
segment of cells, with the strongest winds occurring
near the apex of the bow. Cyclonic and anticyclonic
motion of the radar cells are often noted on the
northern and southern ends of the bow segment,
respectively. During the declining stage, the system
often evolves into a comma-shaped echo with pre-
dominantly cyclonic motion of the radar echoes
evident on the northern end of the system (Figure 1E).

At the core of most bow echoes is a strong surface
cold pool and associated surface mesohigh, which is
produced via the evaporation of rain and transport of
potentially colder air to the surface from the mid-
troposphere [e.g., 3–5 km above ground level (AGL).
Cold poolswithin severe bowechoes canbe asmuch as
10–151C colder than the surrounding airmass, with
surface pressure excesses reaching 5–8mbar. In asso-
ciation with this cold pool is also often an intense rear-
inflow jet that extends rearwards from the leading
edge of the active convection andmay extend in depth
from 3–5km AGL down to the surface. This rear-
inflow jet helps transport drier, mid-level air into the
precipitating region behind the leading edge of the
convection, increasing the potential for strong, evap-
orationally produced downdrafts and resulting cold

pools. Such rear-inflow jets can reach magnitudes of
25m s� l or greater above the ambient mid-level flow.
The cold pool and rear-inflow jet represents the
primary source for the strong surface winds in such
systems.

Bowechoes are observedover awide range of scales,
from tens of kilometers to over 200 km (along-line
length) in extreme cases. Lifetimes can range from a
couple of hours to over 10 h. Although a range of
scales is observed, themost intense bow echoes tend to
be 40–120 km in length and have lifetimes of 4–6 h.
Widespread surface winds of 25m s� l or greater are
commonly observed with severe bow echoes, with
extreme cases producing swaths of damagingwinds of
greater than 50m s� 1, producing widespread falls of
trees, toppling power poles, damaging buildings, and
blowing vehicles off highways.

An example of bow echo that passed through
Springfield, Illinois, on 6 August 1977 is presented in
Figure 2. This systemevolved froma relatively isolated
cell to a comma-shaped echo over a 5 h period while
producing a continuous swath of damaging surface
winds over a 200 km path. A detailed damage survey
taken during a portion of this event is presented in
Figure 3, and demonstrates that the broad swath of
outflowwinds is oftenmade up of a series of individual
downbursts andmicrobursts (see alsoMicrobursts). It
also demonstrates the tendency of bow echoes to
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Figure 2 Evolution of radar echoes associated with the Springfield downbursts and tornadoes of 6 August 1977. (Reproduced with

permission from Fujita, 1978.)
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generate tornadoes, especially along and to the north
of the apex of the bow (Figure 2). In the present case,
18 tornadoes were generated just to the north of the
bow echo apex as the northernmost cell evolved into a
cyclonically rotating head. The relationship between
bow echoes and tornadoes has still not been adequate-
ly explained.

A wide range of radar–echo configurations can
be associated with developing severe bow echoes
(Figure 4). One of the common characteristics is the
development of a strong low-level reflectivity gradient
near the leading edge of the concave-shaped echo.
Another significant feature is the presence of a weak
echo channel or ‘rear inflow notch’ (RIN) on the back
side of the bow,whichoften signifies the location of the
intense rear-inflow jet and the likelihood of downburst
winds and possible downburst-induced tornadoes.
Also, while a bow echo is generally organized on a
scale larger than a single convective cell, individual

severe cells, sometimes supercellular, may be con-
tained within the larger-scale structure (e.g., note the
‘intense convective cell’ with the tight reflectivity
gradient and hook-like appendage at the southern end
of the bow echo in Figure 4).

Another example of a mature bow echo is shown in
Figure 5 from 5May 1996 near Paducah, Kentucky. In
this example, a large bow-shaped convective system
has two smaller-scale bows embedded with the larger
circulation. The Doppler winds clearly depict a large
rear-inflow jet behind the core of the system (dark
blue), with weak anticyclonic shear to the south of the
bow and stronger cyclonic shear evident on the
northern end of the bow. Additionally, the smaller
embedded bows each have their own localized rear-
inflow jets with associated rotational features on
the ends. This event emphasizes that a range of
bow-echo scales can exist, sometimes side by side, in
the same basic environment. Avertical cross-section of
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reflectivity taken through the core of the bow
(Figure 6A) depicts strong, upright convective cells at
the leading edge, with a weaker stratiform region
extending rearward. A storm-relative velocity cross-
section (Figure 6B) depicts front-to-rear ascending
flow through the convective cells and extending aloft
within the anvil, with a strong rear-inflow jet beneath
the front-to-rear flow at mid-levels.

Derechoes

The term ‘derecho’ is used to describe convective
systems that produce straight-line convective wind
gusts greater than 26m s� 1within a concentrated area
with a major axis length of at least 400 km. The gusts
must also show a systematic pattern of progression,
with no more than 3 h elapsing between successive
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Figure6 Vertical cross-sections of (A) reflectivity and (B) storm-relative at 1855UTC for the Paducah, Kentucky bowecho. The vertical

cross-sections are taken at a 2771 heading from KPAH. Velocities are presented relative to a storm motion of 20 knots (10ms� 1) from

2771. For (B), green colors represent flow towards the radar while red colors represent flow away from the radar. (RW Przybylinski,

personal communication.)
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wind damage events. Such systems have been observed
to have lifetimes of as long as 18 h, producing a swath
of damaging winds hundreds of kilometers wide and
1000 km long. An example of the extent and longevity
of a derecho event is presented inFigure 7. In this case a
squall line produced damaging wind over a swath
hundreds of kilometers wide and 1000 km long over
18 h.

Two basic patterns of radar cells are often associ-
ated with a derecho (Figure 8). The first pattern
(referred to as a progressive derecho) consists of a
single bowed segment of convective cells that often
develops just on the cool side of a weak stationary
front. The bowed feature moves parallel to the front.
The second pattern (referred to as a serial derecho)
consists of a longer squall line that has evolved into a
series of bow echoes or LEWPs that propagate along
the squall line. While bow echoes represent one of the
primary convective structures associatedwith derecho
events, severe bowechoes occurmuchmore frequently
than derechoes, producing damaging surface winds
over more limited regions and for shorter time periods
than included in the strict definition of a derecho.

Bow Echo and Derecho Environments
and Climatology

Bow echo and derecho environments are generally
characterized by large amounts of convective insta-

bility and low-level moisture. Surface dew points are
commonly greater than 201C with lifted indices
averaging about � 91C. Convective available poten-
tial energy (CAPE) is generally greater than
2000 J kg�1, with many cases exhibiting CAPEs
greater than 4000 J kg� 1. Such large CAPEs support
both the development of strong convective updrafts as
well as strong convective downdrafts and cold pools,
the latter being especially critical for the development
of strong surface outflow. The development of strong
cold pools can also be supported by dry mid-tropo-
spheric conditions, although bow echoes and derech-
oes are observed for both moist and dry mid-level
conditions as long as sufficient CAPE is available.
Environmental vertical wind shearmagnitudes tend to
be in the moderate range for severe convective events,
with about 15m s� 1 of shear evident between the
surface and 700mbar (roughly 0–3 km AGL), and
about 20m s� 1 between the surface and 500mbar
(roughly 0–6 km AGL). Such shear magnitudes are
generally weaker than are associated with supercell
storms, although bow echoes and derechoes are
observed in these more strongly sheared environments
as well.

Bow echoes and derechoes can occur in environ-
ments with strong synoptic-scale forcing, as with
severe, prefrontal squall lines, but also occur quite
often in association with more benign synoptic
patterns. As presented in Figure 9, many events begin
along or to the north of a weak east-to-west oriented
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Figure7 Area affected by the convectivewindstormof 5 July 1980 (dashed line). Three-hourly squall line positions are indicated inUTC

(from 0300 to 2100 on 5 July). Officially measured convective gusts are indicated by wind barbs (full barb signifies 5ms�1, flag signifies

25ms� 1). Personal injuries (67) are indicatedbydots, andeachdeath (6) is shownbyan ‘x’. (Reproducedwith permission fromJohnsand

Hirt, 1987.)
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quasi-stationary frontal boundary, in the vicinity of a
mid-tropospheric ridge, and then move along the
boundary (as in the progressive bow echo in Figure 8).
The existence of a low-level jet impinging from the
south and flowing along the frontal region, along
with the polar jet oriented parallel to the front
farther to the north, leads to moderate magnitudes
of vertical wind shear in the lower and mid-tropo-
sphere. The addition of enhanced low-level conver-
gence along the zone, to help initiate the convection,
alongwith the associated deepening of themoist layer,

to help increase the thermodynamic instability, fills out
the ingredient list that promotes the development of
bow echoes and derechoes for this type of weather
pattern.

Figure 10 shows the paths of 67 well-defined
derecho events over the USA during the period of
1983–93. A primary corridor of derecho activity is
evident over the upper mid-western states, with
secondary corridors along an axis from Kansas
through Oklahoma and Texas, and also in the
south east. As presented in Figure 11, derechoes are
most frequent during the spring and summer
months over the USA, but can occur at almost
any time of the year. A similar climatology is believed
to exist for the even more frequent smaller-scale,
shorter-lived bow echoes, although a specific study
documenting bow echo occurrence has yet to be
undertaken.

Numerical and Dynamical Studies

The tendency for a convective cell to evolve into a
bow-shaped system of cells for certain environments is
readily reproduced in numerical cloud modeling
studies. Fundamentally, an updraft produces rain
that falls and evaporates, thereby producing a pool
of cold air that spreads along the ground. This
spreading cold pool produces convergence and lifting

Mean wind
direction

Mean wind
direction

120 km

120 km

L

(A)

(B)

Figure 8 Schematic representation of features associated with

(A) progressive and (B) serial derechoes near the midpoint of their

lifetimes. The total area affected by these derechoes are indi-

cated by the hatching. The frontal and squall line symbols are

conventional. (Reproduced with permission from Johns and Hirt,

1987.)
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Figure 9 Idealized sketch of a midlatitude warm season synop-

tic-scale situation especially favorable for development of long-

lived progressive bow echo complexes producing extensive

swaths of damaging winds. The line B–M–E represents the track

of the bow echo complex. Thin lines denote sea level isobars in the

vicinity of a quasi-stationary frontal boundary. Broad arrows

represent low-level jet stream (LJ) and polar jet (PJ) in the upper

troposphere. (Reproduced with permission from Johns and

Doswell, 1992.)
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along its leading edge that can then trigger new cells.
However, rather than a cold pool producing a com-
plete circle of new cells around the initial storm, cells
are favored along a bow-shaped arc oriented perpen-
dicular to the vertical wind shear vector. The ability to
trigger new cells along this arc increases dramatically
as the amount of vertical wind shear increases, and
also if the wind shear is confined to the lowest 2–5 km
AGL.

Figure 12 demonstrates these results for numerical
model simulations of bow echoes, with and without
the effects of the Earth’s rotation (Coriolis forcing)
included. These simulations are initiated with five

convective cells along a line 150 km in length in a
horizontally homogeneous environment with moder-
ate CAPE (2200 J kg� 1) and strong low-level vertical
wind shear (20m s�1 over the lowest 2.5 km AGL;
winds are kept constant above 2.5 km). In both cases, a
line of strong convective cells has become established
by 3 h. For the non-Coriolis case (Figure 12A), this line
becomes significantly bow-shaped between 3 and 6 h,
with strong mirror image cyclonic and anticyclonic
vortices developing at mid-levels behind the northern
and southern ends of the system, respectively. With
Coriolis forcing added (Figure 12B), the northern
cyclonic line-end vortex strengthens over time, while
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climatological study of well-organized derecho events during the period of 1983–93 over the central and eastern USA. (Adapted from
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the southern anticyclonic vortexweakens, leading to a
highly asymmetric system configuration by 6 h. The
strengthening of the northern cyclonic vortex is
directly related to the mid-level convergence of plan-
etary rotation. Figure 12B also demonstrates that a
range of bow-echo scales can be produced within the
same convective system, very similar to the observa-
tions of the Paducah bow echo case from 5May 1996
(Figure 5). The tendency to develop such sub-system-
scale vortices within such simulations increases with
increasing magnitudes and depth of the ambient
vertical wind shear.

Much of the strength and structural characteristics
of bow echo-type systems can be understood
by considering the development of a two-dimensional
circulation along a vertical cross-section through
the core of the convective line. This is most
easily accomplished via the two-dimensional hori-
zontal vorticity equation for inviscid, Boussinesq
flow (eqn [1]), where Z ¼ qu=qz� qw=qx, and
where, B represents the buoyancy, defined by
eqn [2].

dZ
dt

¼ � qB
qx

½1�

B � g
y0

�yy
þ 0:61ðqv � �qqvÞ � qc � qr

� �
½2�

Here y represents the potential temperature, qv, qc,
and qr represent the mixing ratio of water vapor,
cloud water, and rainwater, respectively, and g is

the acceleration due to gravity. Within this
framework, the only source of horizontal vorticity
other than the ambient vertical wind shear [e.g.,
Z ¼ qUðzÞ=qz, where UðzÞ represents the ambient
wind profile] is horizontal gradients of buoyancy.
Thus, the analysis of the development of circula-
tion is simplified to understanding the evolution
of the buoyancy field and its interaction with
the ambient shear. The two primary sources of
buoyancy within a convective system are the warm
convective updraft and the cold convective down-
draft and cold pool. The net circulation of the
system thus depends on the relative strengths of
the ambient shear, the convective updrafts, and the
cold pool.

From the perspective of eqn [1], a convective
system initially leans in the direction of the ambient
vertical wind shear vector (e.g., downshear) as the
warm convective updraft feels the influence of the
sheared flow (Figure 13A). However, as the surface
cold pool develops and strengthens over time, the
opposing circulation associated with the cold pool
forces the system to achieve a more upright
(Figure 13B) and then upshear-tilted (Figure 13C)
configuration. Once the system begins to tilt up-
shear, a rear-inflow jet is generated in response to
the buoyant front-to-rear ascending current aloft
and rearward spreading cold pool at the surface.
For most convective systems, this rear-inflow jet
descends and spreads along the surface well behind
the leading edge of the convection, enhancing the
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forcing (WF), or hybrid events. (Adapted from Evans and Doswell, 2000.)

320 BOW ECHOS AND DERECHO



surface outflow but generally weakening the convec-
tive system. For the stronger-shear, large GAPE bow-
echoes, however, this rear-inflow jet may remain
elevated, enhancing the lifting at the leading edge of
the system, and promoting an even stronger, andmore
long-lived convective system (Figure 13D). This con-
figuration of the vertical circulation and elevated rear-
inflow jet is quite similar to the 5 May 1996 case, as
presented in Figure 6.

System strength and severity is enhanced even
further through the development of the line-end vortex

pair (e.g., Figure 12A), which focuses and strengthens
the mid-level rear in-flow jet, thereby enhancing
the resultant convective downdrafts and surface
outflow. The source of this line-end vorticity is
both the downward tilting of the ambient vertical
wind shear layer as well as upward tilting of the
system-generated vertical wind shear associated
with the ascending updraft current and descending
rear-inflow jet.

The processes described above contribute to the
evolution of all convective systems, but produce severe
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apart. (Adapted from Weisman and Davis, 1998.)
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weather for a relatively restricted range of environ-
mental conditions. Generally, long-lived, severe wind-
producing convective systems, such as bow echoes
and derechoes, are produced in idealized simula-
tions for environments with at least 2000 J kg�1 of
CAPE and at least 10m s� 1 of vertical wind shear
over the lowest 2–5 km AGL. However, the more
coherent systems with significant book-end vortices
and strong, elevated rear-inflow jets, as presented in
Figure 12, are restricted to environments with at
least 15–20m s� 1 of vertical wind shear over the
lowest 2–5 km AGL.

See also

Convective Storms: Convective Initiation; Overview.
Density Currents. Gust Fronts. Mesoscale Meteor-
ology: Mesoscale Convective Systems. Microbursts.
Tornados. Weather Prediction: Severe Weather Fore-
casting.
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Figure 13 Four stages in the evolution of an idealized bow echo

developing in a strongly sheared, large-CAPE environment. The

updraft current is denoted by the thick, double-lined flow vector,

with the rear-inflow current in (C) denoted by the thick solid vector.

The shading denotes the surface cold pool. The thin, circular

arrows depict the most significant sources of horizontal vorticity,

which are either associated with the ambient shear or which are

generated within the convective system, as described in the text.

Regions of lighter or heavier rainfall are indicated by the more

sparsely or densely packed vertical lines, respectively. The

scalloped line denotes the outline of the cloud. (Reproduced with

permission from Weisman, 1993.)
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Introduction

During the past four decades, a wide variety of remote
and in situ observational techniques have revealed a
rich spectrum of wave activity in the upper atmos-
phere, with horizontal wavelengths ranging from a
few kilometers (km) to global scales and temporal
periodicities ranging from a few minutes to about 2
weeks. In terms of decreasing spatial–temporal scales,
the observed spectrum of freely propagating atmos-
pheric waves is subdivided into planetary, inertia-
gravity, and buoyancy (or acoustic-gravity) waves.
Although physically similar to inertia-gravity waves,
the buoyancy waves are of sufficiently small temporal
and spatial scales that the rotation and curvature
of the Earth play minor roles in determining their
properties. Optical observations of these mesoscale
(B10–1000 km horizontal wavelengths) waves are the
primary focus of this article.

A complete spatial–temporal description of the
global distribution of buoyancy wave sources has yet
to be made, but a growing body of evidence indicates
copious sources in the lower atmosphere. This is not
particularly surprising since any perturbation of a
stably stratified, low-dissipation region with frequen-
cy components between the high (Brunt–Väisälä) and
low (Coriolis) frequency limits will generate buoyancy
waves. The propagation of such waves in a realistic
atmosphere will be strongly impacted by the back-
ground winds and temperature structure, producing
such effects as refraction, reflection (complete or
partial), and ducting (partial or complete). Hence,
propagation of tropospherically generated buoyancy
waves to the mesosphere and lower thermosphere
(MLT) region (altitude range B80–100 km) is not
ensured, but the mesoscale waves observed in this
region frequently exhibit downward phase progres-

sion,which is indicative of upward transport of energy
from lower-atmospheric sources. In the upper meso-
sphere and lower thermosphere, processes involving
viscosity and thermal conduction attenuate and dissi-
pate energy for waves in the saturation region of
growth. In Figure 1, a simplified sketch captures much
of the basic physics embodied in the modern concept
of a realistic atmosphere permeated by packets of
buoyancy waves.

It is nowwidely accepted that buoyancy waves with
periods less than B1h achieve major importance in
the MLT region because of the relatively large quan-
tities ofmomentum (and to a lesser extent energy) that
they transport to this region. In this connection,
growth of many of the tropospherically generated
buoyancy waves between their sources and the
mesopause region is expected to increase their energy
(per unit mass) by a factor of B100. A number of
comprehensive experimental and theoretical evalua-
tions of gravity-wave forcing have resulted in the
conclusion that this process has a profound impact on

Figure 1 Surrealistic representation of several key physical

processes associated with the propagation of internal atmospheric

gravity waves (CO Hines et al. The Upper Atmosphere in Motion,

Geophysical Monograph 18, American Geophysical Union, Part 2,

Atmospheric Gravity Waves, 194, Figure 1).
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the large-scale circulation in theMLT, aswell as on the
thermal and minor-constituent structures of the re-
gion. In addition, such forcing is expected to impact
variability in the MLT on many spatial and temporal
scales as a result of various types of interactions such as
wave-tide and wave-mean flow.

Optical Observations

Optical observations of buoyancy waves in the terres-
trial upper atmosphere have been greatly facilitated by
‘nature’s gifts’ of several vertically distinct airglow
layers, alkali metal layers, and noctilucent clouds
(NLC). Some of the earliest evidence for atmospheric
buoyancy waves was provided by wavelike deforma-
tions frequently observed during NLC displays. These
are very tenuous mesospheric ice clouds (altitude
B82km) that form during the summermonths at high
latitudes (typically 4551) when the mesopause cools
to the lowest temperature on Earth (110–150K). As
the clouds are tenuous, they can only be seen from the
ground by the scattering of sunlight during the hours
of twilight, when the observer and the atmosphere
below the cloud layer are in darkness while the clouds
themselves remain illuminated. (This condition occurs
for solar depression angles between B61 and 161.)
Optimum locations for observing mesospheric clouds
now and over the past 100 years are Scandinavia/
northern Europe, central Asia, and Canada in the
Northern Hemisphere and the southern tip of South
America in the Southern Hemisphere, where they
are readily seen during the prolonged hours of
twilight. An excellent example illustrating the
wave forms frequently observed in NLC is shown
in Figure 2. The photograph clearly shows three
large-scale NLC ‘bands’ with many smaller-scale,

near-perpendicular, ‘billow’ waves. The average
horizontal wavelengths associated with such defor-
mations lie in the range 5–10 km (billows) and B20–
50 km (bands), the latter of which are typical of the
lower buoyancy range. It is interesting to note that
current theories for the formation of NLC draw
heavily on gravity-wave forcing frombelow to provide
the requisite extremely cold near-mesopause environ-
ment during the summer months for successful ice
nucleation and growth.

It is convenient to distinguish between active and
passive optical methods for studying buoyancy waves.
The active methods are usually associated with Ray-
leigh and resonant-scatter lidars that probe the vertical
structure of temperature and/or density fields by
studying the return signal from short, very intense,
gated pulses of monochromatic light scattered by the
upper-atmospheric medium. In contrast, most passive
methods (with the exception ofNLC) utilize thewave-
induced spatial–temporal modulation of the airglow
emissions to detect and study certain characteristics of
the waves. The passive optical methods include
various types of narrowband imaging, photometry/
radiometry, and spectrometry/interferometry. Clearly,
the lidar techniques yield direct information on
vertical structure and motion, including the sense of
vertical phase progression. In contrast, many of the
passive techniques yield direct information on hori-
zontal structure and motion and limited direct infor-
mation on vertical structure when two or more layer
observations are employed.

Lidar Measurements

With the development of powerful lidar systems in the
1980s, a new era of active remote sensing of themiddle
and upper atmosphere was born. Studies of buoyancy
wave dynamics using lidars have emphasizedRayleigh
scatter methods for investigating structure and wave
motions in the stratosphere and lower mesosphere
(B25–70 km) and resonant scatter (e.g. using sodium)
for studying waves in the MLT region (B80–105 km).
The low-altitude limit (B25km) for the stratospheric
measurements is determined principally by signal
distortion associated with Mie scattering from aero-
sols and particulates, whereas the upper-altitude limit
(B70 km) results from limitations imposed by signal
photon noise. In practice, each limit is determined
by the characteristics of the particular lidar system
(primarily its power–aperture product) and by
the information retrieval methods used in the data
analysis.

Lidar studies of wave dynamics in the mesopause
region have utilized the alkali metal layers (e.g., Na
and K) that are created primarily by the ablation of

Figure2 High-latitudesummer twilight photographof noctilucent

cloudsatB82 kmaltitudeshowingband-typebuoyancywavesand

many smaller-scale billows (Copyright of P. Parviainen, Finland,

e-mail: pekka.parviainen@ppl.inet.fi).
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meteors in this region of the atmosphere. As Na is
much more abundant and has a large back-scatter
cross-section, it is the most well suited for buoyancy
wave studies. In all cases, the lower- and upper-
altitude limits of the measurements are determined by
signal photon noise and/or information retrieval
uncertainties. It is usually assumed that the Na atoms
act as a passive tracer of wave dynamics under typical
measurement conditions. However, extensive model-
ing studies of the chemistry of the Na layer and its
response to wave forcing suggest that this basic
assumption may be invalid for altitudes o85 km. In
addition, this assumption can be compromised under
the special conditions that apply when sporadic layers
form within the Na layer. This said, lidar studies
represent one of themost powerful and advanced tools
for sounding the atmosphere.

Current lidar studies of buoyancy waves provide a
direct measure of vertical structure in Na number
density induced by well-developed quasi-monochro-
matic events. Verticalwavelengths in themeasurement
range, typically 1 to B20 km (limited by layer thick-
ness), in the mesopause region and B3–30 km in the
stratopause region are common. Quasi-monochro-
matic waves with observed periods in the range of
severalminutes (close to the local Brunt–Väisälä value)
to several hours (usually limited by the data-record
length) have been measured. However, in practice
lidars have proven to be most sensitive to a class of
waves with short vertical wavelengths (o10 km)
which exhibit relatively long observed periods and
hence slow vertical phase progression. These waves
tend to follow the so-called diffuse-damping limit for
wave growth. Figure 3 shows a sequence of Na layer
profiles (B3min spacing), tracing the downward
progression of a well-developed long-period (5.8 h)
buoyancy wave observed in the Na layer. This typical
observation yielded a mean vertical wavelength of

6.9 km and a vertical phase velocity of � 0.33m s�1,
where the minus sign signifies downward phase
progression, as illustrated in the figure. An inferred
horizontal wavelength of about 450 km follows from
these directly measured parameters. More sophisti-
cated wind/temperature lidar systems have recently
been developed that are capable of measuring temper-
ature perturbations induced by long-periodwaves and
tides (which are forced rather than freely propagating
waves) and studying the background wind field
through which the waves progress using thermal
broadening and Doppler shifting of the resonance
line. Together with the wave measurements these data
can be used to estimate the sensible heat flux and
vertical flux of horizontalmomentum transported into
the MLT region.

Image Measurements

Over the past 25 years the capability of imaging
instrumentation for remote sensing faint structures in
the upper-atmospheric nightglow emissions has
evolved considerably. Early photographic observa-
tions demonstrating the existence ofwavelikemotions
(akin to those seen in NLC) have been superseded by
low-light, intensified TV cameras and more recently
by solid state CCD imaging systems that now provide
an exceptional capacity for quantitative studies of
mesospheric wave motions.

Images of the naturally occurring nightglow emis-
sions afford an excellent method for investigating the
horizontal morphology and dynamics of short-period
(typically o1 h) buoyancy waves. To date, most
imaging studies have utilized the bright near infrared
(NIR) hydroxyl (OH) Meinel band emissions that
originate from a well-defined layer (typical half-width
B8 km) centered at B87km. However, there are a
growing number of observations of the NIR O2 (0,1)
atmospheric band emission at B865nm and the
visible wavelength OI (557.7 nm) and Na (589.2 nm)
line emissions. Although these emissions are consid-
erably weaker than the broadband OH emission, they
each exhibit well-defined nighttime profiles at differ-
ent, but closely spaced altitudes in the MLT region.
Table 1 lists the properties of the nightglow emission
layers together with the metal layers that are most
frequently used in resonant lidar studies and the NLC
layer characteristics. As the waves propagate and
dissipate within the MLT region they induce signifi-
cant modulations in the line-of-sight brightness (and
rotational temperature) of these emission layerswhich
is detected as ‘structure’. Measurements of two (or
more) nightglow emissions therefore provide an
important additional method for investigating the
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Figure 3 Sequence of Na lidar profiles (3-min spacing) illustra-

ting the downward phase progression of a coherent gravity wave of

6.9-km vertical wavelength and observed period of B5.8-hr. (RL

Collins et al. (1996) Gravity wave activity in the upper mesosphere

over Urbana, Illinois: lidar observations and analysis of gravity

wave propagation models. J. Atmos. Terr. Phys., 58, 1905–1926,

Figure 2).
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vertical as well as horizontal propagation of short-
period buoyancy waves.

In particular, all-sky image data (1801 field of view)
yield unique information on the occurrence frequency,
two-dimensional horizontal spatial characteristics,
and the prevailing directionality of small-scale waves
over an exceptionally large geographic area
(B400 km radius) corresponding to B500 000 km2

at MLT heights with high temporal and spatial
resolution. These cameras are most sensitive to rela-
tively fast-moving waves exhibiting vertical wave-
lengths somewhat greater than the layer thickness (i.e.,
48km) and horizontal wavelengths (lh)B5–200km
(i.e., significantly less than the maximum field of
view). In general, lidar and image measurements
therefore sample different (but overlapping) regions
of the buoyancy wave spectrum.

Optical measurements of the airglow emissions can
bemade at any latitude and season providing a global,
all year round capability. Such studies, once limited to
the realm of NLC, have revealed a wealth of small-
scale wave activity at equatorial, mid- and high
latitudes from many sites around the world, and it is
not uncommon to observe several different wave
patterns during the course of a night suggesting
copious sources. Figure 4 illustrates a variety of
wave patterns that are most commonly observed in
the MLT emissions. These observations have mainly
beenmade frommid- and low-latitudemountain sites,
and distinct spatial and temporal properties have
emerged which suggest the existence of two dominant
types of short-period waves, termed ‘bands’ and
‘ripples’ (akin to those seen in NLC). Figure 4A
illustrates the most prominent quasi-monochromatic
pattern which usually appears as an extensive, coher-
ent series ofwaves that exhibit horizontalwavelengths
of a few to several tens of kilometers and horizontal
phase speeds up to 100m s� 1. Band displays are
persistent, usually lasting for a few to several hours,
and are spatially extensive, often occupying an area of
sky much larger than the instantaneous all-sky field of
view. In this image the bands appear as a series of

curved waves (like the segments of an orange) due to
the format of the all-sky lens. However, when they are
mapped into geographic coordinates they often (but
certainly not always) appear as an extensive series of
quasi-planar waves. In this example the wave pattern
appeared linear and exhibited ahorizontalwavelength
of 3872 km, and an observed phase speed of
3473m s� 1 indicating an observed period of
1972min. The histogram plots of Figure 5 illustrate
the range of values typically observed for bands.

In contrast, the second type ofwavemotion (termed
ripples) is quite distinct from the bands, exhibiting
much smaller spatial and temporal scales. Ripples
usually occur in localized wave packets that occupy
much smaller regions of the sky, typically
o5� 103 km2. They have relatively short lifetimes (a
few minutes to B45min) and almost always exhibit
periods close to the local Brunt–Väisälä period
(B5min). Two ripple patterns are also evident in
Figure 4A superimposed on the band-type wave
pattern. The similarity between the wave forms seen
in this image and the narrow angle NLC of Figure 2 is
striking.

The importance of multilayer measurements is
illustrated in Figure 4B, which shows wave structure
imaged in the Na emission layer at approximately the
same time as 4A. (Note that the bright lines are due to
an Na lidar beam probing two regions of sky during
the 120 s image exposure.) The same band pattern is
clearly evident in this emission (and in the OH andO2

emissions) indicating that this wave motion was
coherent and extended vertically throughout the
MLT region whereas the ripples are absent revealing
their limited horizontal and vertical extent.

A likely source of ripples and billows is the chance
combination of wind and long-period wave motions
(including tides) creating localized regions of strong
wind shear which then generate small-scale waves in
situ through the Kelvin–Helmholtz instability. Alter-
natively, the waves may be generated by a three-
dimensional convective-type instability which pre-
dicts that the waves should form near-orthogonal to
the perturbing wave. In each case, the wave patterns
will be short lived and spatially localized as evident
from the image data. In contrast, the band-type waves
have been shown to be due to freely propagating or
ducted buoyancy waves most probably of tropospher-
ic origin.

Figure 4C, D depicts different class of band-type
motion termed a ‘frontal event’. Unlike most band
patterns this type of wave is characterized by a sharp
leading edge followed by a discrete number of (typi-
callyo10) trailing wave crests, similar inmorphology
to a bore on a river. This type of wave motion is much
less common and is thought to be the signature of a

Table 1 Layer characteristics (full-width at half-maximum),

except the Na layer which is of full width

Emission/layer Peak altitude (km) Width (km)

OI (557.7 nm) 96 6–10

O2 (0,1) 94 8–10

Na (589.2 nm) 90 B10

NIR OH 87 8–10

Na layer 92 80–105

NLC 82 2
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trapped (or ducted) wave propagating near-horizon-
tally at mesospheric heights. In this case, the effect of
the bore intrusion on the airglow layers was to
simultaneously lower the height of the NIR OH
(image D) and raise the OI (557.7 nm) layer (image
C) which is manifested as a reversal in contrast to the
structuring.

Figure 4E shows another example of band-type
wave structure (lh ¼ 35:5� 1:0km) but this time
imaged in the high-latitude (B651 N) OH emission
fromcentral Alaska. The bright arc in the lower part of

the image is due to auroral precipitation. Joule heating
and other forcing associated with solar-induced mag-
netic storms are a known source of large-scale buoy-
ancy waves that are often detected in the high-altitude
ionosphere as traveling ionospheric disturbances
(TIDs). However, in this case the bands were moving
towards the auroral zone suggesting other, tropo-
spheric-type sources.

These examples have been chosen for their clarity to
illustrate the types of short-period wave motions that
exist at MLT heights. However, as one would expect

Figure 4 Example all-sky (1801) images illustrating the dominant spatial signatures of short-period buoyancy waves observed

frequently in the MLT nightglow emissions (adapted fromMJ Taylor et al. (1995) All-sky measurements of short-period waves imaged in

the OI(557.7 nm), Na(589.2nm) and the near infrared OH and O2(0,1) nightglow emissions during the ALOHA-93 campaign. Geophys.

Res. Lett., 22, 2833–2836, Figure 1).
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from the quasi-random ensemble of sources andwaves
propagating into the upper atmosphere (as depicted in
the sketch of Figure 1) there are oftentimesmanymore
waves evident, resulting in a complex, time-varying
airglow pattern. Such a situaton is shown in the OI
(557.7 nm) image of Figure 4F. In this case two band-
type motions progressing in almost orthogonal direc-
tions are evident. A map illustrating the geographical
location and orientations of an even more complex
wave display observed over the Hawaiin Islands is
shown in Figure 6. The display consists of two quasi-
linear wave patterns and one curved wave train. The
temporal evolution of these events reveals the true/
exceptionally dynamic nature of the MLT region.

Figure 7A, B shows two narrow angle images
depicting exciting new evidence of wave break-
down creating turbulent structures. The two images
show a portion of a well-developed band pattern
(lh ¼ 27 km) which appears to increase in contrast, as
the wave becomes nonlinear (image A) and then
breaks into a number of much smaller scale turbulent
features (image B). Such observations are currently
rare, yet it is expected that the breakdown of these
waves to smaller scale sizes eventually resulting in
turbulence and the associated transfer of energy and
momentum into the background medium is a major
driver of the MLT region dynamics.

Ground-based, airborne, and, most recently, satel-
lite-borne image measurements have been employed
to study buoyancy waves. The advantage of satellite-
basedmeasurements is their ability to studywaves and
their potential sources over remote, inaccessible areas
on a global scale. This new capability is illustrated in
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Figure 5 Histogram plots illustrating the typical ranges of

horizontal wavelength, phase speed and observed period associ-

ated with short-period gravity wave patterns (adapted from Taylor

et al. (1997) Image measurements of short-period gravity waves

at equatorial latitudes. J. Geophys. Res., 102, 26283–26299,

Figures 4, 5 and 6).

Figure 6 Map illustrating a relatively complex wave display

imaged in the OI(557.7 nm) and O2(0,1) nightglow emissions and

consisting of two quasi-linear wave patterns and one curved wave

train (MJ Taylor et al. (1995) All-skymeasurements of short-period

waves imaged in the OI(557.7 nm), Na(589.2nm) and the near

infraredOHandO2(0,1) nightglowemissionsduring theALOHA-93

campaign, Geophys. Res. Lett., 22, 2833–2836, Figure 2).
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Figure 8, which shows data from theMidcourse Space
Experiment (MSX) providing the first observations
from space of gravity waves generated by a thunder-
storm over Indonesia. In this case, the data are nadir
pointing from the midwave infrared CO2 emission at
4.3 mm in the upper stratosphere (altitude 40 km) and
show circular wave fronts (lh¼25 km) launched by a
‘pointlike’ thunderstorm at their center. Until recently
most satellite measurements have focused on much
larger horizontal scale size (lhBa few thousand
kilometers), longer period waves that can be readily
discerned in limb airglow measurements. However,
this new nadir capability is poised to revolutionize our
understanding of wave generation and propagation in
the middle atmosphere on a global scale.

Interferometry, Photometry, and
Spectrometry Measurements

Interferometers, photometers (radiometers), and spec-
trometers continue to play major roles in quantifying
the line-of-sight-integrated intensity and temperature
responses of the airglow layers to buoyancywaves. For
quasi-monochromatic events, the ‘layer-averaged’
amplitude of the perturbing wave can, in principle,

be obtained directly from the observed temperature
variation. However, in practice, an accurate determi-
nation of the wave amplitude requires a knowledge of
the background temperature structure, the distribu-
tion of emitters in the layer, and the vertical wave-
length of the wave. This information set is seldom, if
ever, available. Furthermore, the column emission rate

Figure 7 (A,B) Narrow-angle images illustrating evidence of wave breaking in theOHemission leading to turbulent structures (adapted

from Y Yamada et al. (2001) Breaking of small-scale gravity wave and transition to turbulence observed in OH airglow, Geophys. Res.

Lett., 28, 2153–2156, Figure 1).

Figure 8 MSX satellite observations of upper stratospheric CO2 emissions illustrating a near circular buoyancy wave pattern likely

produced by a ‘point-like’ thunderstorm located at its center of curvature (EM Dewan et al. (1998) MSX satellite observations

of thunderstorm-generated gravity waves in mid-wave infrared images of upper stratosphere, Geophys. Res. Lett., 25, 2809–2812,

Figure 2b).
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(CER) response is less directly related to the amplitude
of the induced perturbation. As a result, ratio of the
fractional perturbations in CER and temperature
(which is independent of wave amplitude) has become
the key parameter in comparing experiment with
theory.

In their simplest operatingmode (static, single field),
these instruments continue to provide much useful
information for testing the predictions of sophisticated
chemical–dynamical models for the layer response.
For example, Figure 9 shows the response of the OH
Meinel airglow layer to short-period (D5.8min)
buoyancy waves near the Brunt–Väisälä limit as
measured by a high-throughput Michelson interfer-
ometer. A train of six oscillations clearly illustrates
that the high-frequency wave-induced fractional tem-
perature perturbations are nearly an order of magni-
tude smaller than the fractionalCERperturbations.As
the induced perturbation amplitudes for such high-
frequency waves are expected to be small (typically

r1%), precise measurements pose a significant ex-
perimental challenge.

In their more sophisticated multifield or imaging
modes, these instruments have provided useful infor-
mation on the horizontal spatial scales andmotions of
the waves, in addition to defining the integrated layer
responses to perturbations induced by the waves.
Furthermore, as with imaging studies, measurements
using two (or more) vertically distinct airglow emis-
sions (e.g., OH and O2 (0,1) bands) provides a means
for assessing horizontal and vertical scales of motion
and the amplitude of wave growth.

See also

Buoyancy and Buoyancy Waves: Theory. Lidar: At-
mospheric Sounding Introduction. Middle Atmosphere:
Gravity Waves. Noctilucent Clouds. Optics, Atmos-
pheric: Airglow Instrumentation; Optical Remote Sensing
Instruments.

Theory

T J Dunkerton, Northwest Research Associates,
Bellevue, WA, USA

Copyright 2003 Elsevier Science Ltd. All Rights Reserved.

Introduction

Under the influence of gravity, a fluid of variable
density settles into a configuration inwhich surfaces of
constant density are approximately horizontal and
density decreases with height. Such a fluid is said to be
stably stratified. Stratification is an important proper-
ty of geophysical flows, affecting motions over a wide
range of spatial and temporal scales. The buoyancy of
a fluid parcel (or of a solid object) suspended within a
fluid describes the tendency of the parcel or object to
move upward or downward in response to gravita-
tional and pressure-gradient forces. Buoyancy might
be regarded as an effective ‘force’, but it actually
represents a combination of these two fundamental
forces. Coherent oscillations resulting from the restor-
ing force of buoyancy are known as buoyancy waves,
or gravitywaves; thesewaves play an important role in
atmospheric dynamics.

Buoyancy

The vertical acceleration of a parcel of fluid is
governed by

dw

dt
þ gþ 1

r
qp
qz

þ � � � ¼ 0 ½1�

where w is the vertical component of velocity, d=dt
denotes the material derivative following the parcel, g
is the acceleration of gravity, r is density and p is
pressure. Linearizing the second and third terms of
eqn [1] about a basic state in hydrostatic balance,
such that

p ¼ �ppþ p0 ½2a�

r ¼ �rrþ r0 ½2b�
and

q�pp
qz

¼ ��rrg ½3�

the equation may be written

dw

dt
þ g

r0

�rr
þ 1

�rr
qp0

qz
þ � � � ¼ 0 ½4�

The second term describes the buoyancy of a parcel:

b0 � �g
r0

�rr
½5�

implying a tendency for lighter parcels to accelerate
upward, and vice versa, under the influence of gravity.

330 BUOYANCY AND BUOYANCY WAVES / Theory



The buoyancy variable in eqn [4] acts as an effective
‘force’ in the vertical direction.

In a nondiffusive incompressible fluid, density is
conserved following the motion:

dr
dt

¼ 0 ½6�

which may be linearized about a state of rest and
combined with the definition of buoyancy variable to
give

qb0

qt
þw0N2 ¼ 0 ½7�

where

N2 � � g

�rr
q�rr
qz

½8�

is the Brunt–Väisälä frequency squared, a quantitative
measure of stratification (see Instability: Symmetric
Stability). N2 is positive in a stably stratified fluid. In
this case, N is the frequency of oscillation of a fluid
parcel about its equilibrium level of neutral buoyancy,
as can be seen, for example, by combining eqn [7]with
the fully linearized version of eqn [4] and neglecting
the vertical pressure gradient force.

In an ideal gas, potential temperature y is conserved
following the motion (apart from diabatic effects) and
may be used as a surrogate for density in the definition
of buoyancy. This approximation is valid if the speed
of sound is large and the effect of the pressure
perturbation on density is thereby minimized. The
corresponding definition of N2 is

N2 � g
�yy
q�yy
qz

½9�

so that potential temperature increaseswith height in a
stably stratified atmosphere. In this case, once again,
N is the frequency of oscillation of an air parcel about
its equilibrium level of neutral buoyancy.

Unlike solid objects that are shape-preserving, fluid
parcels are stretched and deformed by the motion;
buoyant plumes entrain or detrain fluid while mixing
with the environment. The concept of buoyancy, as
applied to individual parcels, is therefore of limited
use except in special situations where the integrity
of parcels is maintained. Moreover, individual parcels
are rarely able to move about without affecting
neighboring ones. Buoyancy remains important,
nonetheless, because it influences the collectivemotion
of parcels coupled together by the fundamental forces.
Stratification affects virtually all classes of atmospher-
ic motion. It is particularly important for buoyancy
waves – more commonly known as gravity waves –
which arise in a stably stratified flow as a result of the
restoring force of buoyancy.

Buoyancy Waves

Gravity waves exist in two forms: internal and
external. The most common type of external wave
propagates horizontally along the interface between
two fluids of different density, with amplitude dimin-
ishing away from the interface. Internal waves,
on the other hand, propagate horizontally and
vertically in a fluid of continuously varying density
or potential temperature. Internal waves are more
important in the atmosphere. While propagating
vertically, gravity waves transport horizontal momen-
tum vertically, often over many density scale heights.
To conserve wave energy, the amplitude of a gravity
wave generally grows with altitude because of the
density decrease, so that a small perturbation (perhaps
undetectable in the lower atmosphere) becomes large
in the middle and upper atmosphere. Momentum is
irreversibly deposited in a region where the waves
attain large amplitude and become locally unstable
(e.g., at a critical level (see later)), breaking via
convective or shear instability. Vertical mixing of
heat and constituents also can be attributed to gravity-
wave breaking.

Gravity waves assume the form of plane waves,
consisting of alternating slabs of fluid sliding upward
or downward at an angle, as illustrated in Figure 1.
They also appear with surfaces of constant phase
radiating diagonally from a two-dimensional source
(e.g., a vibrating horizontal rod) or as conical phase
surfaces in three dimensions emanating from a point
source. Waves originating from a point source appear
as concentric rings in a horizontal cross-section, and
have been observed in the stratosphere above isolated
thunderstorms.

Figure 1 depicts a plane wave with phase propaga-
tion downward and to the right. For this wave the
group propagation is upward and to the right,
orthogonal to the direction of phase propagation as
is generally the case with gravity waves. A downward
propagating phase is commonly observed in the
middle atmosphere, suggesting upward group propa-
gation and a tropospheric source. An upward propa-
gating phase is sometimes observed in the troposphere,
suggesting downward group propagation and an
upper tropospheric source. In other cases, upward
group propagation is observed throughout the tropo-
sphere, indicating a source near the surface. Vertical
transport of horizontal momentum is in the direction
of vertical group propagation, as implied by the
positive correlation of horizontal and vertical velocity
components in Figure 1.

In a simple mean flow without shear, or slowly
varying in time and space, the intrinsic frequency
of a vertically propagating gravity wave must lie in
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the range

jf jojôojoN ½10�
where f is the local Coriolis frequency. The intrinsic
frequency is

ôo ¼ o� k . �uu ½11�
where o is the wave frequency relative to the coordi-
nate system, k is the wavevector, and �uu is the mean
flow, assumed horizontal. The special situation ôo ¼ 0
(relevant if f ¼ 0) is illustrated in Figure 2, and is
referred to as the Hines critical circle, named after its
inventor Colin Hines, an atmospheric scientist of the
latter half of the 20th century who has written
extensively on the role of gravity waves in the middle
atmosphere. This circle traces out a locus of points for
which the component of mean flow velocity in the
direction of horizontal wave propagation equals the
horizontal phase speed of the wave, c ¼ o=k, where k
is the horizontal wavenumber. Equivalently, for any
phase velocity vector extending from the origin to a
point on the circle, themean flow speed j�uujmatches the
apparent speed of wave crests in the direction of the
mean flow.

When the wavevector and mean-flow vector are
parallel, the wave is said to have a critical level at the
altitude where mean-flow speed and horizontal phase

speed are equal. Waves with upward group propaga-
tion, approaching a critical level from below, grow to
large amplitude, overturn, and break in a critical layer
of finite depth lying below the critical level. In a
compressible atmosphere where density decreases
with height, waves generally grow in amplitude with
height, with or without shear, and eventually break.
This situation is illustrated in Figure 3, showing
potential temperature surfaces distorted to such an
extent that some of these surfaces are about to
overturn and create conditions for local static insta-
bility. Parcels within a convectively unstable region
experience exponential growth of displacement am-
plitude with time, quickly restoring a locally stable
configuration. The process of wave breaking leads to
turbulence generation, momentum deposition, mix-
ing, and diminution of wave amplitude, and in some
cases, excitation of waves not present in the original
spectrum.

Waves with intrinsic frequency near f are known as
inertia-gravity waves. The effect of positive f is
illustrated in Figure 4. A vertical profile of horizontal
velocity would look something like the hodograph in
Figure 5, with phase increasing downward (mo0).
Horizontalwind components obtained froma balloon
ascending rapidly through this wave would exhibit
clockwise rotation with height, indicating upward
group propagation. Velocity data displayed in this
format are informative. The eccentricity of the ellipse

y

x

k∗ c

u

c = k∗· u

Figure 2 Hines’s critical circle for plane waves with horizontal

component of wavevector, k�, normalized to unit length in a mean

flow �uu, assumed horizontal. Along the circle, the mean flow speed

projected onto the direction of wave propagation is equal to the

wave’s horizontal phase speed, c.
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Figure 1 Structure of an internal gravity wave with phase
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ing, respectively. The resulting temperature anomalies are in
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ða=bÞ indicates the ratio of wave intrinsic frequency to
local Coriolis frequency, while the orientation of the
major axis indicates the direction of horizontal phase
propagation, to within 1801. This directional ambi-
guity can be resolved if simultaneous temperature data
are available, as implied by Figure 4. In addition to a
vertical flux of momentum, the inertia-gravity wave
contributes to a horizontal flux of heat transverse to
the direction of horizontal phase propagation.

Inertia-gravity wave parameters are related through
a dispersion relation

ðôo2 � f 2Þm2 ¼ ðN2 � ôo2Þk2 ½12�
where k and m are horizontal and vertical wavenum-
bers, respectively.This formula is valid forwaves on an
f -plane, in a constant or slowly varying mean flow,
under the incompressible approximation; it is also
approximately valid for atmospheric waves with
vertical wavelength lz{4pH where H ¼ �ð1=rÞ�
ðdr=dzÞ is the density scale height where r is the
horizontally averaged density. Most waves of interest
satisfy this inequality. It can be seen from the disper-
sion relation that when the intrinsic frequency

approaches f , the vertical wavenumber increases to
infinity, i.e., the vertical wavelength approaches zero.
The presence of f 2 in eqn [12] implies a larger vertical
wavenumber than would otherwise be the case with-
out the Coriolis force. One implication of this result is
that inertia-gravity waves may break down via shear
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Figure3 Potential temperature surfacesdisplacedbyanupward

propagating internal gravity-wave packet experiencing exponential

growth with height in a compressible atmosphere. The wave is

about to overturn and break in the upper part of the domain,

beginning at the breaking level, zb.
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Figure 4 Structure of an inertia-gravity wave in the Northern

Hemisphere, where the Coriolis parameter f is positive. Features

resemble those of the internal gravity wave shown in Figure 1, but
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westward zonal wind anomalies generate southward and north-
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phase decreases with height.
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instability rather than via convective instability as
wave amplitude increases.

According to eqn [12], waves with large intrinsic
frequency have relatively steep surfaces of constant
phase,whilewaveswith small intrinsic frequency have
relatively flat surfaces of constant phase. That phase
surfaces become vertical in the limit ôo ! N is intui-
tively reasonable sinceN is the frequency of oscillation
for vertical displacements in a stably stratified fluid. In
this limit, the vertical group velocity and vertical
wavenumber go to zero, and the waves are reflected
from the surface where ôo ¼ N. In the opposite limit
ôo ! f , the vertical group velocity also approaches
zero, but the vertical wavenumber approaches infinity,
and the waves are likely to break and be absorbed.

Gravity waves are sometimes trapped in vertical
waveguides or ‘ducts’ and are able to traverse a large
horizontal distance. Long-period waves have relative-
ly small vertical group velocity and are also able to
propagate over a range of latitudes, so that the value of
f seen by the waves changes slowly with time (see
Tropical Meteorology: Equatorial Waves). Near the
equator, inertia-gravity waves may become trapped
within an equatorial waveguide, forming a modal
structure, or equatorially trapped inertia-gravity
wave. These modes constitute the ‘fast manifold’ of
waves on an equatorial beta plane. The intrinsic period
of equatorial inertia-gravity waves can be longer than
a day, in contrast to mid-latitude gravity waves which
are typically restricted to a range of intrinsic periods
from several minutes to several hours.

There are several sources of gravity waves in the
atmosphere, including flow over topography (see
Valley Winds), convection, shear instability (see Kel-
vin–Helmholtz Instability), and geostrophic adjust-
ment. Orographic excitation is favored when surface
winds are strong and directed across undulations of
the topography. Convection generates gravity waves
through pulsations in forcing or through a ‘topo-
graphic’ effect as the convective plume impinges on a
stably stratified shear layer. Organized clusters of
convection also generate gravity waves, but on amuch
larger scale than that of individual clouds. Sometimes
the clusters themselves are organized by inertia-
gravity waves to form a coupled moist dynamical
system. This behavior is observed in the tropics, over
open ocean (see Tropical Meteorology: Equatorial
Waves). Shear instability generates larger-scale gravity
waves through envelope radiation. Geostrophic ad-
justment has long been regarded as a source of gravity
waves radiating away froma state of initial imbalance.
A similar process, the spontaneous emission of gravity
waves, is now recognized for its role in evolving large-
scale flows, such as baroclinic instabilities, in which
regions of imbalance are generated through formation

of frontal zones and regions of strong ageostrophic
acceleration.

Gravity waves have several important effects on the
general circulation of the atmosphere. They can
accelerate the flow spontaneously, giving rise to such
phenomena as the quasibiennial and semiannual
oscillations of the tropical middle atmosphere. Grav-
ity waves also decelerate the flow, reducing the speed
of the winter polar night jet, summer mesospheric jet,
and the topside of the tropospheric jet stream. These
waves stimulate weather events in the troposphere,
such as precipitation bands and new convective
elements. Convection therefore is not only a source
of gravity waves, but is also triggered by gravity waves
generated by distant convection.

Simulation of the atmospheric general circulation
requires either a proper parametrization of gravity-
wave effects, or explicit simulation of the waves.
Because gravity waves span awide range of horizontal
scales, it is impractical to simulate the entire spectrum.
In most models, some combination of explicit
modeling and parametrization is utilized.

See also

Buoyancy andBuoyancyWaves:Optical Observations.
Convection: Laboratory Models of. Density Currents.
Dynamic Meteorology: Waves. Instability: Symmetric
Stability. Kelvin Waves. Kelvin–Helmholtz Instability.
Lee Waves and Mountain Waves. Middle Atmos-
phere: Gravity Waves. Mountain Meteorology. Oro-
graphic Effects: Mountain Waves and Stratospheric
Chemistry. Tropical Meteorology: Equatorial Waves.
Valley Winds. Wave Mean-Flow Interaction.
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Introduction

Carbon dioxide (CO2) is considered a trace gas in the
atmosphere, with contemporary concentrations of
approximately 370 parts permillion by volume (ppm).
Despite its low concentrations relative to those of
nitrogen or oxygen, CO2 plays a significant role in the
Earth’s life cycle and in controlling the global climate.

CO2 is released as a by-product of aerobic respira-
tion. Plants take up CO2 and release oxygen as a part
of photosynthesis. Variations in the global balance
between photosynthesis and respiration result in
seasonal variations in atmospheric CO2 of up to
15 ppm. For example, atmospheric CO2 concentra-
tions in the Northern Hemisphere are generally lower
in the summer, when many plant species enter a new
growth stage and photosynthesis predominates over
respiration. CO2 is also a greenhouse gas that absorbs
long-wavelength radiation in the atmosphere, attenu-
ating its escape into space. The trapping of radiation
by CO2 and other greenhouse gases (e.g. water vapor,
methane, nitrous oxide, and chlorofluorocarbons)
helps keep the planet warmer than it would bewithout
an atmosphere. It is this greenhouse warming that
makes life, as we know it, possible on planet Earth.

Mankind is currently in the process of altering the
chemistry of the global atmosphere. AtmosphericCO2

concentrations have been increasing as a direct result
of human activities such as deforestation and the
burning of fossil fuels (e.g., coal and oil). Over the past
150 years, CO2 concentrations in the atmosphere have
increased by as much as 30% (from 280 to 370 ppm;
Figure 1). This has been accompanied by an increase in
global mean surface temperature of between 0.4 and
0.81C. The present rate of increase in CO2 is unprec-
edented over the last 20 000 years.

This article briefly describes the complicated role
that CO2 plays on the planet Earth, the different pools
where carbon is stored, and the ways in which carbon
is transferred between pools over various periods. We
will focus on those pools (reservoirs) and transfers
(fluxes) with time scales relevant to the human
alteration of the natural carbon cycle. In addition,
scientific issues relevant to future atmospheric CO2

concentrations will be discussed along with a brief
introduction to some of the global policy issues
regarding regulation of future CO2 emissions.

Geological History of Atmospheric CO2

Atmospheric CO2 varied considerably over the Earth’s
early history. The balance of several geochemical
processes, including organic carbon and calcium
carbonate burial, silicate rock weathering, and vol-
canism, controls the concentration of atmospheric
CO2 over long (millennial) time scales. When one
process dominates over the others, such as during
intensified periods of active volcanism, atmospheric
CO2 concentrations can change significantly over
time. For example, during times of high volcanism in
the Jurassic period about 200–150 million years ago,
CO2 concentrations in the atmosphere rose to more
than 3000 ppm. The high CO2 levels made the rain
more acidic by reacting with the water to form
carbonic acid. The high acid content of the rainwater
eventually caused higher rates of chemical breakdown
(weathering) in carbonate and silicate rocks, releasing
basic ions (e.g., bicarbonate and silicate). These basic
ions traveled via rivers and ground water to the
oceans, eventually increasing the ocean’s capacity to
absorb CO2 from the atmosphere. The patterns of the
large-scale geological processes and the responses of
the global carbon cycle during the early stages of the
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Earth’s history caused large swings in atmospheric
CO2.

The relatively high atmospheric CO2 concentra-
tions present over most of the Earth’s history were
substantially decreased with the evolution of terres-
trial vegetation and the subsequent enhancement of
silicate weathering from the decomposition of plant
matter in soils. For approximately the past 20 million
years, the geochemical evidence from the sedimentary
record suggests that CO2 concentrations in the
atmosphere remained below 300 ppm until the begin-
ning of the twentieth century. Recent studies of CO2

trapped in air bubbles preserved in ice cores from
Greenland and Antarctica have provided scientists
with high-resolution records of atmospheric CO2

concentrations for the past 400 000 years. The longest
record, from the Vostok ice cores in Antarctica, shows
that atmospheric CO2 fluctuations were only about
100 ppm, associated with transitions from glacial to
interglacial periods (Figure 2). The Vostok ice core
record, which spans four glacial–interglacial cycles,
reveals that atmospheric CO2 was low (�180 ppm)
during the glacial periods and higher (�280 ppm)
during the interglacial periods. Natural changes in the
global carbon cycle between glacial and interglacial
periods have maintained the atmospheric CO2 levels
between these two extremes for at least the past
420 000 years.

Controls of Modern Atmospheric CO2

There are only three major reservoirs with exchange
rates fast enough to vary significantly on the time scale
of decades to centuries: the atmosphere, the terrestrial
biosphere, and the oceans. Of this three-component
system, approximately 93%of the carbon is located in
the oceans. The atmosphere, at about 750 PgC

(1 Pg5 1015 g), has the smallest total pool of carbon.
The annual atmospheric exchange of CO2 with both
the oceans and the terrestrial biosphere is on the order
of 80–130 PgC y�1. Although these fluxes are very
large, the mass of carbon in each of these reservoirs
maynot change over time. Ice core records suggest that
the atmospheric CO2 concentrations were very close
to 280 ppm for the 1000 years prior to the industrial
era (see Figure 1). This constancy suggests that the
carbon pools were more or less in equilibrium, and the
net transfer over sufficiently large areas was close to
zero.

Atmosphere

Of the three rapidly exchanging major carbon pools,
the atmosphere is the most well mixed. Since most of
the current CO2 sources to the atmosphere are in the
Northern Hemisphere and CO2 exchange across the
Equator is estimated to take about one year, the CO2

concentrations in the north are higher than in the
southern latitudes (see Figure 3). The fact that most of
the terrestrial biosphere is located in the Northern
Hemisphere also results in larger seasonal variations
relative to the Southern Hemisphere. Data from the
present Global CO2 Atmospheric Sampling Stations
(Figure 4) indicate that distinct CO2 sources and sinks
are difficult to identify by examining atmospheric
concentrations alone because the CO2 is quickly
distributed around the globe by the winds. East–west
gradients of atmospheric CO2 concentration are an
order of magnitude smaller than north–south gradi-
ents. CO2 concentrations over the continents are only
a few ppm higher than corresponding locations over
the oceans.

Terrestrial Biosphere

Each year approximately 18% of the CO2 in the
atmosphere is cycled through terrestrial plants. This
amount of carbon, or about 120 PgC, is converted
each year to carbohydrates and plant material during
photosynthesis. About half of this material forms
plant tissue (leaves, stems, roots, and wood) and the
other half is returned to the atmosphere by autotro-
phic respiration (CO2 released by the plants). Global
net primary production (photosynthesis� autotro-
phic respiration) is estimated to be approximately
60 PgCy�1. Of this amount, approximately 83% is
returned to the atmosphere via heterotrophic respira-
tion (decomposition of plant material by bacteria,
fungi, and herbivores) and combustion due to forest
fires. The carbon that remains is called the net
ecosystem production. Estimates of changes in carbon
stocks by the US Forest Service suggest that about
10 PgCy�1 is fixed into new plant matter globally
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each year. The net ecosystem production suffers
further losses of carbon from harvesting and erosion
of soil carbon and plant materials, which are eventu-
ally transported via streams to rivers, and to the
oceans. What remains behind, the net biome produc-
tion, is the amount of carbon that is accumulated by
the terrestrial biosphere each year. It is this carbon that
is ultimately lost from the atmosphere as a terrestrial
sink. Estimates of the net biome production averaged
0.2 PgCy�1 (i.e., small net carbon uptake from the
atmosphere) during the decade of the 1980s and
1.0 PgCy�1 in the decade of the 1990s.

Oceans

The oceans are the largest of the three main CO2

reservoirs, containing about 50 times more CO2 than
the atmosphere and 19 times more than the terrestrial
biosphere. On an annual basis, the two-way exchange
of CO2 between the atmosphere and the surface ocean
is approximately 90 PgC y�1. Net exchange of CO2

occurs by diffusion when there is a difference in the
CO2 partial pressure (pCO2) between the atmosphere
andoceans. For example,when the atmosphericpCO2

is higher than the surface ocean, CO2 diffuses across
the air–sea boundary into the oceans. The oceans are
able to hold much more carbon than the other
reservoirs because most of the CO2 that diffuses into
the oceans reacts with the water to form carbonic acid
and its dissociation products, bicarbonate and car-
bonate ions. The conversion of dissolved CO2 to
bicarbonate and carbonate ions effectively reduces the
pCO2 in thewater, promotingmore diffusion from the
atmosphere.

The oceans are mixed much more slowly than the
atmosphere, so there are large horizontal and vertical
gradients in CO2 concentration. For more than 40
years marine scientists have been measuring the
distribution of pCO2 in the surface waters of the
oceans. A summary of the global data set is presented
in Figure 5. CO2 uptake from the atmosphere was
generally found to occur in the high-latitude oceans as
a result of two factors. First, CO2 is more soluble in
cold water, so as ocean currents (such as the Gulf
Stream) transport water from the tropics to the poles
they are cooled and can absorb more CO2 from the
atmosphere. Second, the high-latitude zones are also
regions where intermediate and bottom waters are
formed. As the waters are cooled, they become denser
and sink into the ocean’s interior taking with them the
CO2 accumulated at the surface. This process of
transporting CO2 from the surface ocean to the deep
because of the cooling and sinking of water masses is
known as the solubility pump.

Another process that transfers CO2 away from the
surface ocean is termed the biological pump. Photo-
synthetic production of marine plants (phytoplank-
ton) incorporates CO2 and nutrients from sea water
into living plant tissue and detritus. Microscopic
marine animals, called zooplankton, consume the
phytoplankton and provide the basis for the food web
for all animal life in the sea. The gross primary
production by marine phytoplankton is estimated to
be about 110 PgC y�1.Most of this carbon is recycled
in the upper ocean via autotrophic respiration, simi-
larly to what occurs on land. Some of the organic
carbon is transformed into dissolved organic carbon,
which is transported by currents and diffusion to
deeper depths and oxidized by marine bacteria. The
remainder of the organic carbon sinks as particulate
matter. The downward transport of dissolved organic
carbon, particulate organic carbon, and detritus
makes up the bulk of the downward export flux of
carbon into the ocean interior. Estimates of this global
export production range from 10 to 20 PgC y�1.
Heterotrophic respiration converts most of this or-
ganic carbon back into dissolved inorganic carbon
(dissolvedCO2, bicarbonate, and carbonate) at depth.
Only about 0.1 PgC y�1 reaches the sea floor to be
buried in the sediments. The CO2 that is recycled at
depth is slowly transported large distances by currents
to areas where the waters return to the surface
(upwelling regions). When the waters regain contact
with the atmosphere, the CO2 originally sequestered
by the phytoplankton is returned to the atmosphere.
This reequilibration process helps to regulate atmos-
pheric CO2 concentrations over decadal and longer
time scales. Themajor upwelling regions are along the
equatorial belt, the Antarctic Circumpolar region, and
various localized coastal upwelling regions. It is this
biological pump that primarily maintains the strong
vertical gradient of dissolved carbon in the oceans.

CO2 in the Industrial Era

Vast amounts of carbon are stored in the Earth’s crust
as coal, natural gas, and oil. If not for the mining
activities of mankind, this carbon would not be
recycled back into the atmosphere for millennia.
Combustion of coal, natural gas, and oil released an
estimated 5.5 PgC y�1 into the atmosphere in the
decade of the 1980s and 6.3 PgC y� 1 in the 1990s
(Table 1). Other human activities, such as cement
manufacturing, also contribute significant quantities
of CO2 into the atmosphere each year. CO2 generated
as a direct result of human activities is called
anthropogenic CO2. The release of anthropogenic
CO2 increases the atmospheric concentrations by
about 1% each year. This increase has been well
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documented since the 1950s by direct atmospheric
measurements in locations such as Mauna Loa,
Hawaii, that are well away from the primary CO2

source regions (Figure 6).

Annual assessments of fossil fuel consumption are
compiled for each country. By estimating the CO2

released by each fuel type, one can estimate the total
CO2 released to the atmosphere each year. One
intriguing finding of the atmospheric CO2 sampling
program is that only about half of the anthropogenic
CO2 released each year remains in the atmosphere.
The exactmechanisms and locations for the remaining
anthropogenic CO2 sinks has been a matter of intense
research for the past decade. It is important to note
that, in order to qualify as a sink for anthropogenic
CO2, the fluxes must be enhanced over preindustrial
rates. CO2 fluxes associated with the ocean’s biolog-
ical pump, for example, are 10–20 PgCy�1. There is
no conclusive evidence, however, that these rates have
changed in the open ocean as a result of increased
atmospheric CO2. The growth of marine phytoplank-
ton is generally limited by the availability of nutrients
in the waters, not by carbon availability. In this case,
although the fluxes associated with the biological
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Table 1 Global CO2 budgets (in PgCy�1) for the last two

decades based upon atmospheric CO2 and O2 data
a

Source or sink 1980–1990 1990–1997

CO2 emissions (fossil fuel,

cement production)

5.570.3 6.370.4

Atmospheric increase 3.370.1 2.970.1

Ocean–atmosphere flux �2.070.6 � 2.470.5

Land–atmosphere flux �0.270.7 � 1.070.6

aPositive values represent fluxes to the atmosphere; negative

values represent uptake away from the atmosphere. The land–

atmosphere flux represents the net balance of a positive term due

to land use changes and a negative term due to a residual carbon

sink.

Source: Prentice et al. (2001).
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pump are roughly twice the fossil fuel signal, the
biological pump is not believed to be a significant sink
for anthropogenic CO2. The difficulty with determin-
ing exactly where the anthropogenic CO2 is stored is
that the Earth systems are very complex and the
anthropogenic CO2 signal is small relative to the
natural fluxes. Scientists attribute the majority of the
athropogenic CO2 removed from the atmosphere to
uptake by the terrestrial biosphere and the ocean’s
solubility pump.

Terrestrial Biosphere

Human activities, particularly in the northern temper-
ate and tropical forests, directly affect net biome
production by changing agricultural practices,
deforestation and reforestation practices, nitrogen
fertilization practices, and CO2 fertilization of land
plants via increasing atmospheric CO2 concentra-
tions. Estimation of carbon stocks in terrestrial eco-
systems requires an accurate knowledge of land cover,
carbon density in vegetation and soils, and the fate of
the plant carbon (e.g., burning, decomposition). Glo-
bal estimates of the net terrestrial CO2 sink via annual
carbon stock changes have very large uncertainties.
Scientists believe that the terrestrial biosphere is
currently in balance or is a small global sink for
carbon despite large releases of carbon as a result of
deforestation (Table 1).

Deforestation has been responsible for almost 90%
of the estimated emissions due to land use change since
1850, with a 20% decrease of the global forest area.
Conversion of natural vegetation to agriculture has

also been a major source of CO2, not only because of
plant biomass loss but from also increased decompo-
sition of soil organicmatter caused by disturbance and
the energy costs of various agricultural practices.
However, these losses can be minimized with proper
land management and the use of high-yielding plant
varieties.

All trees, nearly all plants from cold climates, and
most agricultural crops respond to increasing atmos-
pheric CO2 levels by enhancing their photosynthetic
uptake of carbon. Experimentswith crops have shown
an average increase in net primary production (NPP)
of 33% for a doubling of atmospheric CO2, although
natural communities show a smaller response. In-
creased uptake, particularly in temperate climates, can
serve to counteract the CO2 release due to land use
practices like deforestation. Research also suggests
that inputs of nitrogen from human activitiesmay also
help to increaseNPP rates in some areas. The increases
in the uptake rate of the terrestrial biosphere due to
CO2 fertilization are expected to reach a maximum
some time in the second half of this century.

Ocean Solubility Pump

The constancy of atmospheric CO2 concentrations in
the centuries prior to the industrial revolution suggests
that the oceans were a small net source of CO2 to the
atmosphere to balance the carbon input from rivers.
Today, the net oceanic flux has been reversed because
of anthropogenic inputs of CO2 to the atmosphere. A
global average air–sea difference of 8 ppm would
result in a net flux of approximately 2 PgC y�1. The
uptake of anthropogenic CO2 by the oceans is driven
by the thermodynamic forcing from the air–sea
difference in pCO2 and the air–sea transfer velocity.
The transfer velocity is related to the surface roughness
of the ocean and the wind speed. The thermodynamic
forcing is related to the amount of CO2 that is
converted from pCO2 to other carbon species in the
sea water, such as bicarbonate and carbonate ions.
This so-called ‘buffer capacity’ is what allows the
oceans to hold so much carbon. The relative concen-
trations of dissolved CO2 (1%), bicarbonate ion
(91%), and carbonate ion (8%) controls the acidity
(pH) of the oceans. SinceCO2 is an acid gas, the uptake
of anthropogenic CO2 consumes carbonate ions and
lowers the oceanic pH. The carbonate ion concentra-
tion of surface sea water in equilibrium with the
atmosphere will decrease by about 30% with a
doubling of atmospheric CO2 from preindustrial
levels (from 280 to 560 ppm). As the carbonate ion
concentration decreases, the buffer capacity of the
oceans and its ability to further absorb CO2 from the
atmosphere is reduced.
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Future CO2 Concentrations

The global climate models that are used to predict
future impacts of global climate change have signifi-
cantly improved over the last decade. A recent report
from the Intergovernmental Panel on Climate Change
examines six different scenarios of future impacts
from increased concentrations of greenhouse gases in
the atmosphere. All themodels used in this study show
a marked increase in atmospheric CO2 over this
century. They indicate that the future rates of CO2

uptake in the oceans and terrestrial biosphere will not
keep pace with increasing CO2 emissions. The models
project that by the end of this century CO2 concen-
trations in the atmosphere will range between 550 and
800 ppm (Figure 7). Thismeans that a doubling of pre-
industrial atmospheric CO2 levels will certainly occur
sometime within this century, perhaps as early as
2050. Most of the model projections of climate
impacts that have been publicized are based on a
doubling of atmospheric CO2. For example, model
estimates indicate that a doubling of atmospheric CO2

will result in an increase in global temperatures of 1.4
to 4.51C. The range in temperature projections is due,
in large part, to uncertainties in the concentrations of
atmospheric aerosols that tend to reduce the effects of
global warming.

There are many direct and indirect climate impacts
that will result from global warming including: a sea
level rise ranging from 0.1 to 0.9m over this century;
extensive melting of Northern Hemisphere glaciers;
and increased incidences of severe storms such as
hurricanes, tornadoes and heavy rains. Since the
average lifetime of a CO2 molecule in the atmosphere
is approximately 80 years,mankind’s reliance on fossil
fuel for heat and energy will continue to have a

significant impact onour climate formany centuries to
millennia.

Carbon Sequestration Efforts

Over the long term (millennial time scales), the ocean
has the potential to absorb approximately 85% of the
anthropogenic CO2 that is released to the atmosphere.
As long as atmospheric CO2 concentrations continue
to rise, the oceans will act as a sink. However, this
reaction is reversible. If atmospheric CO2 were to
decrease in the future, the oceanswould start to release
the accumulated anthropogenic CO2 back out into the
atmosphere. The ultimate sinks for anthropogenic
CO2 must be reactions that bind the CO2 in a manner
that is not easily reversed. Weathering of silicate rocks
on land, for example, is a long-term sink for CO2.

Carbon burial into the sediments can also provide a
long-term sink.One proposed approach for enhancing
carbon removal from the atmosphere is to enhance
phytoplankton production by fertilizing specific re-
gions of the ocean with micronutrients such as iron
that are currently limiting production. The hypothesis
is that the resulting bloom of oceanic plants would
remove CO2 from the atmosphere then transport that
carbon into the deep ocean or sediments, effectively
removing it from the short-term budget. The effec-
tiveness of the ‘iron hypothesis’ is currently being
tested, with several research efforts attempting to scale
up iron fertilization experiments. Other carbon se-
questration approaches, including direct injection of
liquefied CO2 into the deep ocean, are also being
examined. Further research is necessary to determine
whether any of these techniques will be effective or
economically feasible. Implementation of these ap-
proaches may depend, in large part, on policy deci-
sions made on national and international levels.

Efforts to Reduce CO2 Emissions — The Kyoto
Protocols

During theEarth Summit inRiode Janerio in1992, the
United Nations established the Framework Conven-
tion on Climate Change to encourage member coun-
tries to stabilize greenhouse gas emissions at a level
that will prevent dangerous interference with the
global climate system. In 1997 a meeting was held in
Kyoto, Japan, to establish legally binding commit-
ments for reducing future emissions of CO2 and other
greenhouse gases. The goal was for each member
country to set emission commitments so that by the
period 2008–2012 the overall global emissions will be
reduced to 5% below the levels emitted in 1990. The
timeframe 2008–2012 was set for compliance so that
member nations could make the transition to efficient
lower-emitting carbon technologies.
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TheKyoto Protocols stipulated that if somemember
countries could enhance the Earth’s natural carbon
sinks, for example by enhancing the uptake of carbon
into forests, these additional carbon ‘sinks’ could
be used as part of their emission assessments.
For countries with major forests, like the United
States, Russia, and Canada, these enhanced car-
bon sinks could be used to counterbalance some
small increases in CO2 emissions. In addition,
the Protocols allow for trading of these so-
called ‘carbon credits’ to take advantage of interna-
tional trade agreements. Developing countries
were assigned no emission commitments and devel-
oped countries were required to reduce their emissions
by an average of 7% below their 1990 levels.
One provision of the protocols allows developing
countries to trade emission credits to developed
countries in exchange for technology that enhances
carbon uptake.

The Kyoto Protocols will not be binding until
3 months after they have been ratified by at least
55 member nations, including a sufficient number
of the developed countries to account for 55% of
the 1990 emission levels. To date, the Kyoto Protocols
have not been ratified by the required 55 member
nations. Several provisions of the Protocols have
not been resolved to the satisfaction of several nations.
For example, theUnited States Senate hasmade it clear
that it will not ratify the protocol until several key
developing nations agree to participate in the emis-
sions reductions. Additional efforts to resolve
the remaining issues at the Sixth Conference of
the Parties at The Hague, in 2000 also failed to reach
a consensus on the emissions commitments. In the
meantime, global CO2 emissions have continued to
increase over their 1990 levels by about 11%. As
ratification of the Kyoto Protocols continues to be
delayed, it will become increasingly difficult for the
member nations to reach their overall goal of a
reduction in global emissions to 5% below the 1990
levels.

Summary

Atmospheric CO2 is an integral part of all life on
Earth. It is not only involved in basic photosynthesis
and respiration but also helps control the climate of
the environment we live in. The global carbon cycle is
very complex and not completely understood today.
The gross fluxes associatedwith a number of processes
have the potential to quickly alter the composition of
the global atmosphere. The positive and negative
feedback mechanisms associated with these processes
appear to have been relatively well balanced for the
period of mankind’s existence. Today, however,

human activities are serving to alter that balance.
Attempts to regulate emissions at the international
level have not had great success. Researchers are
working to better understand how the global environ-
ment might be altered from the addition of anthro-
pogenic CO2 and other greenhouse gases to the
atmosphere. At this point, a doubling of atmospheric
CO2 over preindustrial levels is almost inevitable.
Recent changes observed in the global climate are
consistent with the predicted response to increasing
greenhouse gases in the atmosphere.
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Reaction Kinetics and Atmospheric
Chemistry

Chemistry in the atmosphere often consists of several
consecutive and parallel steps that compete with each
other. Interpretation of the rates of chemical change,
and the concentrations and lifetimes of atmospheric
constituents, requires a knowledge of the rates of the
elementary reaction steps that make up the complex
scheme. The kinetic data embodied in this knowledge
is best obtained by laboratory experiment, although
theory may have to be used if the experiments cannot
be performed. Theory is useful in another way as well,
because it can provide a rational basis for the extra-
polation of laboratory data to temperatures, pres-
sures, and concentrations that exist in the atmosphere
but that cannot be used in the laboratory studies.

Rate Laws

Consider the hypothetical chemical reaction [I].

Aþ Bþ � � � ! products ½I�
Experimentally, the rate is found to be proportional to
the concentrations of A, B, y each raised to some
power (eqn [1]).

Rate ¼ � d½A�
dt

¼ � d½B�
dt

¼ k½A�a½B�b ½1�

Order, Molecularity and Rate Constant

The powers a and b in eqn [1] are the order of reaction
with respect to reactants A and B, and aþ b is the
overall order; the constant of proportionality, k, is the
rate coefficient (rate ‘constant’). The molecularity of a
reaction is the number of reactantmoleculeswritten in
the stoichiometric equation. Order is thus an exper-
imental quantity; molecularity is an arbitrary theoret-
ical one. An elementary reaction step is conceived as
one that cannot be split into any chemically simpler
processes. For truly elementary steps, order and
molecularity are in general identical. Thus, if reaction
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[I] is elementary, and the only reactants are A and B, it
is both bimolecular and overall second-order: first-
order in each of the components A and B. However, a
special case often arises in atmospheric chemistry. If
the second reactant, B, is in great excess overA, then its
concentration is effectively constant throughout the
reaction.We can then combine the concentrationwith
the rate coefficient, k, and write the rate of reaction as
k0½A�, where k0 ¼ k½B�. Such a process is termed a
pseudo-first-order reaction, and k0 is the pseudo-first-
order rate coefficient.

The Arrhenius Equation

Many rate constants are found to followa temperature
law embodied in the Arrhenius expression of eqn [2],
where Ea is the activation energy and A is the pre-
exponential factor.

k ¼ A exp � Ea

RT

� �
½2�

The Arrhenius equation is entirely empirical, but
several theories of kinetics yield expressions for the
rate coefficient that are similar in form.

TheTheoriesofElementaryGas-Phase
Bimolecular Reaction Steps

Bimolecular processes are probably the most impor-
tant class of reaction and, as we shall see later,
termolecular and many very important unimolecular
reactions involve several bimolecular elementary steps.
The obvious starting point in discussing the theories of
reaction is thus with bimolecular reactions. Two
simplifications are commonly adopted in discussions
of these theories. The first is the collision theory (CT),
and the second is the transition state theory (TST).

Collision Theory

In simple collision theory, reactant molecules are
assumed to be hard spheres (radii rA and rBC, say, for
reactants A and BC), and reaction is taken to be
possible only if two conditions are met: (1) a collision
must occur, and (2) the energy of collision along the
line of centers must equal or exceed the energy
required, Ec, to reach a critical configuration (ABC 6¼,
the transition state in Figure 1(D) in the article on
principles of chemical change; see Chemistry of the
Atmosphere:Principles ofChemicalChange). The rate
of reaction according to this theory is readily shown to
be given by eqn [3].

� dnA
dt

¼ � dnBC
dt

¼ nAnBC scc exp � Ec

RT

� �
½3�

In eqn [3], sc is the cross-sectional area for collision
(collision cross-section), given by eqn [4], and c is the
mean relative velocity of molecules for temperatureT,
given by eqn [5].

sc ¼ p rA þ rBCð Þ2 ½4�

c ¼ 8kBT

pm

� �1=2

; m ¼ mAmBC

mA þmBC
½5�

The quantities nA and nBC in eqn [3] are the number
densities of A and BC (concentrations in molecular
units such as molecule cm�3). Equation [3] certainly
has the correct concentration dependence for an
elementary bimolecular reaction, so that the rate
coefficient can be written

k ¼ scc exp � Ec

RT

� �
½6�

It is clear that the Arrhenius equation (eqn [2]) and
eqn [6] bear a close resemblance, and Ec is commonly
identified with Ea, so that the question may be asked
whether scc is to be compared with A. However,
it should not be forgotten that c is dependent on T1=2

(cf. eqn [5]), while A, in the simplest formulation,
is not temperature dependent. Amore telling difficulty
concerns the absolute magnitudes of A and scc.
For typical atmospheric reactants, with collision
radii � 400 pm and relative molecular masses
� 30; scc is � 3�10�10cm3 molecule�1 s� 1 at
300K. The product scc is called the collision frequen-
cy factor. Except for the very simplest of reactants,
experimentalA factors are usually less than, and often
much less than, the collision frequency factor. An
explanation for the lack of agreement is sought in
terms of molecular complexity, with the existence of
special geometric arrangements that are needed during
the collision to bring reactive parts of the molecules
together (steric requirements), and of special needs for
the distribution of internal energy. That explanation
takes us well away from the idea of hard-sphere
reactants.

Transition State Theory

The alternative simplification adopted in the interpre-
tation of bimolecular reactions is that of the transition
state theory (TST) or activated complex theory (ACT).
The reactants and the critically configured ABC
molecule are assumed to be in ‘quasi-equilibrium’.
Equilibrium constants can be expressed in statistical
thermodynamic terms, and if the formulation is also
valid for the quasi-equilibrium, where the system is at
a (free) energy maximum rather than minimum, then
concentrations of ABC 6¼ (the transition state) may be
calculated. Rates of reaction can then be obtained
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from the rate at which ABC 6¼ passes to products (as a
result of translational or vibrationalmotions along the
reaction coordinate). The resultant rate coefficient, k,
is given by eqn [7].

k ¼ kBT

h

q0 0
ABC 6¼

q0
Aq

0
BC

exp � Ec

RT

� �
½7�

Partition functions are written as q0
A; q

0
BC; q

0 0
ABC 6¼ for

reactants and transition state, the primes showing that
the quantities are volume-independent. The double
prime indicates that the motion along the reaction
coordinate has been factorized out (and a numerical
constant has been introduced). In TST, then, the
internal motions neglected in collision theory (CT) are
expressly taken into account through the use of the
partition functions. TST concentrates only on that
region of the potential energy surface around the
transition state (for the calculation of the partition
function q0 0

ABC 6¼) while CT is interested only in the
height of the energy barrier at the transition state. It is
the calculation of q0 0

ABC 6¼ that offers most difficulty in
the practical implementation of TST. Spectroscopic
parameters for the reactant molecules are usually
available, so that q0

A; q
0
BC are readily estimated.

However, a knowledge of the shape of, and the forces
acting at, the transition state would imply that the
potential energy surface is itself known, at least in the
region of ABC 6¼. The usual practice is to make an
‘informed guess’ at the magnitude of q0 0

ABC 6¼ based on a
hypothetical interaction mechanism and a corre-
sponding model for the transition state. Considerable
differences in predicted pre-exponential factors are
obtained from models of the transition state that are,
for example, linear, bent, or cyclic. In a more limited
way,TST can suggest a sensible order ofmagnitude for
the pre-exponential factor. The three total partition
functions in eqn [7] are each the product of transla-
tional, rotational, and vibrational partition functions.
The translational parts can all be calculated, and
orders of magnitude for rotational and vibrational
parts can be employed in accordance with the number
of each of these modes that exist in A, BC, and ABC 6¼ .
The temperature dependence for every partition func-
tion can be evaluated as a power law, so that eqn [7]
can be rewritten in the form of eqn [8], whereA0 is the
temperature-independent part of the pre-exponential
function, and n is some exponent chosen from the
nature of the reactants (monatomic, diatomic, etc.)
and a model of the transition state.

k ¼ A0Tn exp � Ec

RT

� �
½8�

For the hard sphere (CT) case, n ¼ 0:5, from eqns [5]
and [6]. In the more general case, n can be positive or

negative. The most sensible procedure in temperature
extrapolation thus seems to be first to predict n from a
model of the reaction, and then to fit the experimental
data to eqn [8] with that value of n.

Activation Energies and Long-Range Forces

Rates of reaction are, in part, controlled by the energy
of a critical (transition-state) configuration, an energy
that has as its counterpart the activation energy of
experimental kinetics. The energy barrier arises be-
cause the reactant molecules are forced close together
(closer than the sum of their radii in the hard-sphere
collision approximation), and reactant bonds have to
be broken while product bonds are made. The energy
required is less than that required first to break
reactant bonds and then to form product molecules
in separate steps. The energy does not decrease at any
stage in this picture as the system passes from
separated reactants to the transition state. Such a
decrease in energy would correspond to long-range
attractive forces, and might lead to an increased
collision frequency, and to an A factor that exceeded
scc.Many examples of this type of behavior are in fact
known, even with neutral reactants, but the effects are
strongest and most common with charged reactants.
In ion–molecule reactions such as reaction [II], the ion
can induce a dipole in the neutral reactant, and the
resultant attractive force can both balance the ordi-
nary chemical activation barrier as well as make the
real encounter rate greater than the gas-kinetic colli-
sion frequency factor for neutral molecules.

Oþ þ CO2 ! Oþ
2 þ CO ½II�

Near-zero activation energies are thus often found
in this type of reaction, and the pre-exponential factors
(typically B109 cm3molecule� 1 s� 1) are several
times larger than the values for neutral reactants.
Because the long-range attractive forces dominate the
potential energy, high velocities of approach are
counterproductive in promoting reaction, and some
negative temperature coefficient of rate constant may
be observed. The stronger (or longer-range) the
interaction, the larger the rate coefficient. For ion
reactions with neutral molecules possessing perma-
nent (rather than induced) dipoles, pre-exponential
factors are increased by another two or three times.
Thus charge transfer from O1 to the dipolar mole-
cule H2O (reaction [III]), has a rate coefficient of
2.3� 10�9 cm3 molecule� 1 s� 1 at 298K, and the
activation energy is essentially zero.

Oþ þH2O ! H2O
þ þO ½III�

The long-range interactions are yet larger, of course,
for two reactants both of which are charged. Positive
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ion–negative ion, or positive ion–electron reactions
are characterized by rate coefficients 3–4 orders of
magnitude larger than typical gas-kinetic collision
frequency factors. For example, the rate coefficient
(298K) for neutralization of NO1 by an electron
(reaction [IV]) is 4.5� 10�7 cm3molecule� 1 s�1.

NOþ þ e ! NþO ½IV�

MultistepReactions and theStationary
State Hypothesis

Atmospheric chemistry consists of complex interac-
tions of elementary reactions. Some of the processes to
be described in the following section on unimolecular
and termolecular reactions also involve several steps,
which is why the subject of multistep reactions is
introduced at this stage.

Consecutive and parallel steps involve reactive
intermediates in competitive processes. Reaction
intermediates of particular interest include atoms,
radicals, ions, and excited species. Most of these
intermediates are highly reactive and, with one or two
exceptions, cannot be ‘stored’ in a laboratory for long
periods because they are lost on the walls of the
containing vessel or react with each other. Such
intermediates are not necessarily unstable, and chem-
ical lifetimes of isolated atoms or radicals in the
absence of surfaces can be virtually infinite. Many
excited-state species are unstable, since they may
possess enough internal energy to fragment, and they
may also be able to lose their energy by emission of
radiation. An excited species that cannot undergo loss
by an allowed radiative transition is said to be
metastable.

Multistep reaction schemes are interpreted kinetic-
ally bywriting down the differential equations, such as
eqn [1], for all the species of interest, including the
intermediates. Solution of these equations then allows
prediction of the concentration–time variation of each
of the species. Unfortunately, analytical solution of the
many simultaneous differential equations is rarely
possible. Numerical solution has become a widely
used alternative since the advent of high-speed com-
puters and the development of good techniques for
dealing with differential equations. For some highly
reactive intermediates, the stationary-state hypothesis
(SSH) (often alternatively called the steady-state
hypothesis) provides a simplification that will permit
algebraic solution of the kinetic equations. Consider
an intermediate X that is created in a process whose
rate is constant, and whose loss-rate increases with
increased [X]. After the reaction is started, [X] will
increase until the rate of loss is equal to the rate of

formation. A steady state for [X] has been reached,
and d½X�=dt ! 0. To illustrate the stationary-state
method, consider the pair of reactions [V] and [VI].

Aþ B ! X kf formation ½V�

Xþ C ! D kt loss ½VI�
For simplicity, let [B] and [C] be in great excess, so
that we may write pseudo-first-order rate coefficients
k0
f ¼ kf½B� and k0

t ¼ kt½C�. Equation [9] is the kinetic
equation that describes reactions [V] and [VI].

d½X�
dt

¼ k0
f½A� � k0

t½X� ½9�

If X is in a stationary state, then we set the differential
equal to zero andobtain eqn [10],where ½X�ss indicates
a steady-state concentration of X.

½X�ss ¼
k0
f½A�
k0
t

½10�

The problem is to know whether the concentration of
X calculated using the SSH bears any relationship to
actual concentrations. Our two-reaction example has
been chosen because it can also be solved analytically.
So long as [A] and [C] are independent of time, eqn [9]
can be integrated to yield eqn [11], where t is the time
for which the system has been reacting.

½X� ¼ k0
f½A�
k0
t

½1� expð�k0
ttÞ� ½11�

This expression for [X] approaches the steady-state
expression so long as k0

tt � 1, the error in applying the
SSHbeing less thanoneper cent fork0

tt > 4:6.The SSH
can thus be applied so long as [A] and [C] remain
constant over a period long enough for this inequality
to be reached. It is evident that the circumstances
under which the SSH is most likely to be valid are thus
those where k0

t is large: that is, if the species X is highly
reactive.One example of a species at steady state in the
atmosphere is the highly reactive state of atomic
oxygen, Oð1DÞ, throughout the troposphere, strato-
sphere, and probably the mesosphere. Ground-state
atomic oxygen, Oð3PÞ, however, cannot generally be
treated in the atmosphere by steady-state methods
because of its relatively small reactivity.

Theories of Unimolecular and
Termolecular Reactions

We are now in a position to consider thermal uni-
molecular reactions, and their close counterpart,
termolecular reactions. If chemical reaction requires
collision between, or at least close proximity of, the
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reactants, then itmight seem that all thermal processes
ought to be kinetically of second order. Unimolecular,
first-order, elementary processes appear to lack the
necessary approach of reactants, and termolecular,
third-order, steps suffer from the impossibility of a
simultaneous collision between three hard-sphere
reactants. The explanation for first- and third-order
thermal kinetics shares common ground, and a simple
introduction is provided here.

No obstacle exists to understanding how single-step
unimolecular and first-order decomposition occurs in
a molecule AB that already has more than enough
energy in it to break one of its bonds. An obvious case
is the photodissociation of polyatomic molecules,
where optical dissociation or predissociation popu-
lates vibrational levels of AB sufficiently to cause
fragmentation (see Chemistry of the Atmosphere:
Principles of Chemical Change). The rate of fragmen-
tation may depend on the rate at which energy can
accumulate in the bond to be broken, but the reaction
will be kinetically of first order. Chemical activation
offers another route to high vibrational excitation. For
example, the reactionofHO2withNO(reaction [VII])
can produce a highly excited HO2NOy molecule (the
dagger representing vibrational excitation).

HO2 þNO ! HO2NOy ½VII�
This excited HO2NOy can then either split up to the
reactantsagain,or formOHandNO2(reaction [VIII]).

HO2NOy ! HOþNO2 ½VIII�
Reaction of the excited HO2NOy is a unimolecular,
first-order, elementary reaction.

It is in interpreting thermal unimolecular reactions
that some difficulty arises, since the formation of an
excited ABy molecule involves collisions between the
AB species, and might therefore be expected to show
second-order kinetics. A basic understanding was
provided by Lindemann, who suggested that thermal
first-order reactions were not true elementary steps,
but rather involved at least three elementary processes

ABþ AB!ka ABy þ AB

collisional activation ½IX�

ABy þ AB!kd ABþ AB deactivation ½X�

ABy !kr Aþ B reaction ½XI�
If reaction [X] dominates as a loss process for ABy over
[XI], then the concentration of ABy is almost at its
thermal equilibrium value, while the rate-determining
step for reaction is the first-order process [XI]. Overall

first-order kinetics follow. It is obvious, however, that
at sufficiently low concentrations of AB, there comes a
point at which reaction [IX] is rate-limiting, and the
kinetic behavior will be second-order. Transition from
first- to second-order behavior is, indeed, seen at low
enough pressures in this kind of thermal unimolecular
reaction. Quantitative expression of these ideas can be
obtained by a steady-state treatment for the concen-
tration of ABy as described in the previous section. The
result for the rate of loss of AB is eqn [12], where kI is
the experimentally defined pseudo-first-order rate
coefficient.

� d½AB�
dt

¼ kI½AB� ¼ kakr½AB�2
kd½AB� þ kr

½12�

So long as kd½AB� � kr, the reaction is first-order, but
if [AB] is reduced to the point at which the reverse
inequality holds, then the reaction becomes second-
order. At high concentration, the limiting value of kI
(referred to as k1I ) is equal to ðkakr=kdÞ and is thus
truly first-order, being independent of [AB]. The low-
pressure limit, k0I , is equal to ka½AB� and is itself first-
order in pressure, or second-order overall.

Considerations of high- and low-pressure extrapo-
lations of rate data are most frequently met in
atmospheric chemistry in connection with termolecu-
lar reactions. As with unimolecular reactions, termo-
lecular processes have orders that are variable with
pressure, being third-order at ‘low’ pressure and
second-order at ‘high’ pressure. Such reactions
are extremely important in combination processes
(sometimes erroneously called ‘recombination’ proc-
esses), and we can see why by first looking at the
reaction of two atoms to form a diatomic molecule. A
typical case is the combination of two O(3P) atoms.
Curve ‘X’ in Figure 2 of the article on principles of
chemical change (see Chemistry of the Atmosphere:
Principles of Chemical Change) illustrates this com-
bination. Even if the combining atoms have no relative
translational energy, the newly formed O2 molecule
has the O1O combination energy stored in it:
that energy is the O–O bond energy, and the O2 is
chemically activated Oy

2 at its dissociation limit.
Unless some energy is removed within one vibrational
period, the molecule will fall apart again as
the internuclear distance increases on the first oscilla-
tion. Energy can be removed in collisions; the species
that dissipates energy is often represented by the
symbol M. In the atmosphere of Earth, M is usually
the ‘bath’ mixture of N2 and O2. The overall reaction
is now written as eqn [XII], which is a termolecular
step.

OþOþM ! O2 þM ½XII�
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The redissociation that has been prevented is the
unimolecular dissociation of Oy

2 equivalent to step
[XI], and the process deactivating Oy

2 is the equivalent
of step [X]. We shall see shortly that internal energy
seems to flow fairly freely between different vibra-
tional modes of a polyatomic molecule. If the newly
formedmolecule is larger thandiatomic, there are such
modes into which the bond-combination energy can
flow. The lifetime of the newly formed molecule can
thus correspond to many vibrational periods before
the energy flows back to the critical bond.With a large
enough polyatomic molecule, the lifetime can be so
great that collisional removal of excess energy (stab-
ilization) is no longer rate-determining, and combina-
tion then exhibits second-order kinetics. Because
reactions [X] and [XI] are common to both unimolec-
ular and termolecular reactions, the same general
considerations about flow of energy apply to both
types of process.

The analogue of eqn [12] can be derived from the
single excitation level kinetic scheme of reactions
[XIII]–[XV].

Aþ B!kc ABy combination ½XIII�

ABy þM!ks ABþM stabilization ½XIV�

ABy !kr Aþ B reaction ½XV�
The result is eqn [13], where kII is the experimentally
defined pseudo-second-order rate coefficient (analo-
gous to kI in eqn [12]).

� d½AB�
dt

¼ kII½A�½B� ¼ kcks½A�½B�½M�
ks½M� þ kr

½13�

We see straightaway that, if kr � ks½M�, the reaction
is third-order, with k0II ¼ ðkcks=krÞ½M�. If, how-
ever, kr � ks½M�, then the reaction is second-order,
with k1II ¼ kc. Increased complexity in the molecule
AB reduces the value of kr, because the combina-
tion energy is distributed among more vibrational
modes. The concentration, or pressure, of third-
body M at which third-order behavior turns
over to second-order kinetics is thus lower the more
complex the molecule produced. ‘Complex’ is only
a relative term here: combination of two hydrogen
atoms to form H2 is third-order up to 104 atm,
while combination of two CH3 radicals to form
C2H6 is second-order at all but the lowest pressures.
However, it so happens that the reactants in several
combination reactions of great atmospheric impor-
tance, such as reactions [XVI] and [XVII] are of
just such molecular size that complex intermediate-
order kinetics are displayed at some point in the

atmospheric pressure range.

OHþNO2 þM ! HNO3 þM ½XVI�

OþO2 þM ! O3 þM ½XVII�
Equations [12] and [13] represent the variations of

experimentally determined rates of reaction with
pressure. The pseudo-first-order or pseudo-second-
order rate coefficients kI or kII can be conveniently
expressed in terms of the high- and low-pressure
limiting values k1I , k0I , or k

1
II ; k

0
II. For example, kII in

eqn [13] can be expressed as in eqn [14].

kII ¼ k0IIk
1
II

k0II þ k1II
½14�

Remembering that k0II is itself first-order in pressure, it
can be seen that eqn [14] represents in outline the
variation of kII with pressure that is found experimen-
tally. Unfortunately, however, the equation does not
match experimental data in detail, so that it cannot be
applied directly to the calculation of rates at interme-
diate pressures. The reasons for the failure are known.
The reactions and the rate coefficients ka or kc, kd or ks,
and kr should have been defined for each individual
quantized vibrational level of ABy, and the individual
rates summed to give the total rate. It is, perhaps, easy
to see that the more energy available (beyond the
critical amount needed to break a particular bond), the
more rapid will be the fragmentation (i.e. the larger
will be kr). Related to this point is the implication that
energy stored in any vibrational mode can be made
available to the critical bond. Experimental evidence
largely favors the flow of energy between modes as
being fairly free, and the distribution as being near
statistical. An additional complication involves the
interconversions of vibrations and rotations in the
fragmenting molecule. The theory has been extended,
modified, and manipulated over the years by Rice,
Ramsperger, Kassel, and Marcus, and the familiar
initialsRRKMare used to designate their formulation.
With sufficient sophistication of the input informa-
tion, very good agreement can be obtained between
theory and experiment. Correspondingly, one could
have confidence in the extrapolation of data obtained
in an intermediate concentration regime to either high-
pressure (first-order) or low-pressure (second-order)
limits. However, application of RRKM theory to real
processes of atmospheric importance is in practice
rather difficult, and an alternative, much simpler,
approach is now almost universally adopted. This
approach has its origins in work by Troe on the
theoretical prediction of unimolecular reaction rate
parameters. However, with k1II ; k

0
II known, Troe has

shown that a simplification of his theory allows the
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right-hand side of eqn [14] to be multiplied by a
broadening factor, F, that is a function of ðk0II=k1II Þ. For
many atmospherically important termolecular reac-
tions, Fmay be calculated from a simplemathematical
expression (eqn [15]), in which Fcent is the broadening
factor for the center of the fall-off curve; typically,
Fcent ¼ 0:6.

F ¼ F
f1þ½log10ðk0II=k1II Þ�2g�1

cent ½15�
Third-order reactions often show decreasing rate

with increasing temperature: they have a negative
temperature coefficient. The reason is that the larger
the thermal kinetic energy possessed by the reactants A
and B in process [XIII], the more internal vibrational
energywill be stored in theABy molecule produced. As
pointed out earlier, the chance of the critical bond
energy finding its way back to a breakable bond is thus
increased, and kr is larger. Since kc and ks are only
slightly affected by temperature, it follows from eqn
[13] that the rate of reaction will decrease with
increasing temperature. Thermal energy in effect
assists the newly formed molecule to split up again,
thus slowing the rate of combination. In the third-
order limit, k0II is inversely proportional to kr (see
above). Theory suggests that the temperature varia-
tions of kr should be better expressed in terms of a
power, Tn, rather than as a conventional activation
energy. Hence experimental measurements of k0II as a
function of temperature should be fitted against a T�n

law to allow rational interpolation or extrapolation to
atmospheric temperatures. Typicalmeasured values of
n are 2.5 to 3.1 for reaction [XVI] and 1.7 for reaction
[XVII]. Models of the transition state for bond
association reactions also suggest that, at the high-
pressure limit, kII should possess a negative exponent
of temperature.

Condensed-Phase, Surface, and
Heterogeneous Reactions

Reactionswithin the liquid droplets of clouds and fogs
are important in several aspects of tropospheric
chemistry, such as the oxidation of sulfur dioxide.
Liquid or solid particles can play a critical role in the
chemistry of the stratosphere under certain conditions.
Particles such as those of sulfate aerosol or clouds
formed from water-ice and hydrates of nitric acid
(polar stratospheric clouds, PSCs) are implicated in
such processes. This chemistry may involve surface
reactions or reactionswithin the bulkmaterial, but the
interface between gas and condensed phases is in-
volved in some way, and the reactions are thus known
as heterogeneous reactions. The possible complexity
of the kinetics can be illustrated by considering

explicitly the steps involved in a heterogenous reaction
of a gas-phase species either with the bulk constituent
of a liquid droplet or with another species that is
already dissolved in it. The uptake of gas-phase
molecules can be either reactive or nonreactive.
Chemical change corresponds to loss of the gas-phase
molecule; uptake that is nonreactive can arise from
physical dissolution or from reversible chemistry.
Individual steps that can be envisaged are (1) gas-
phase transport of the reactant to the surface of the
droplet; (2) accommodation at the surface; (3) diffu-
sion into the liquid; (4) chemical reaction; (5) diffusion
of unreacted molecules and products to the surface;
and (6) desorption of species from the interface.
Characterization of each of these individual steps is
obviously a formidable task, although one thatmay be
simplified – as often happens in kinetics – by one of the
steps being rate-determining.

In many respects, the kinetics of liquid, surface, and
heterogeneous reactions are governed by the same
principles that we have established for gas-phase
processes. There are, however, some key differences.
Reactions occurring inside particles are really confined
to the liquid phase, since diffusion coefficients within
solids are too small to allow significant reaction rates.
On the other hand, reactions on solid surfaces are
thought to be of very considerable atmospheric
significance. The PSCs involved in stratospheric
chemistry may consist, for example, in part, of solid
water-ice and solid nitric acid trihydrate. A convenient
starting point in the present discussion will thus be an
examination of surface reactions themselves. An
added degree of complexity arises when the particle
is liquid, as is the case for droplets in the troposphere,
and possibly for stratospheric sulfate aerosol, which
may be in the form of supercooled liquid sulfuric acid.

Formal kinetic equations for reactions on the
surface of atmospheric particles often start from the
Langmuir adsorption isotherm, which is the simplest
of equations that expresses the partitioning of gas
between surface and gas phases. The isotherm makes
several assumptions, including one that states that all
surface sites are equivalent and that there are no
interactions between molecules adsorbed on them.
With these assumptions, it may be shown that the
surface coverage, yX, is given by eqn [16].

yX ¼ bpX
1þ bpX

½16�

Here b is a constant equal to the ratio of rate
coefficients for adsorption onto the surface and
desorption from it. For the low partial pressures of
adsorbates present as minor constituents in the
atmosphere, yX is likely to be very nearly a linear
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function of pX, although the full equation might be
needed for very strongly adsorbed reactants or for high
partial pressures in the atmosphere. An extended
treatment for the situation where two different
species, X and Y, are adsorbed is straightforward,
with the surface coverages yX and yY both entering
into the equation.

The kinetics of reaction for a single reactant are then
developed by including a loss (probably decomposi-
tion) of the adsorbed molecules. If the rate coefficient
for this first-order loss process is kL, the rate of
chemical change given by eqn [17].

Rate ¼ kLyX ’ kLbXpX ½17�
The second (approximate) equality applies for low yX.
The overall kinetics are first-order inpX (and thus [X] ).
Analogous equations can obviously be developed for
the case of X and Y both adsorbed on a surface, and
interacting there. If both species are weakly adsorbed
(small surface coverage), the kinetics will be second-
order, with a rate proportional to pXpY. If one (or
both) of the reactants is adsorbed too strongly to use
the low-pressure limiting equation, then the full form
of the adsorption isotherm must be employed.

A key parameter in the discussion of surface
processes is the uptake coefficient, g, which is the
ratio of molecules lost to a surface to the number of
gas–surface collisions that occur. If the rate of collision
of a molecule X with an area A of the surface is o,
then the rate of loss of X per unit volume,�d½X�=dt, is
equal to g .o=V, where V is the volume of the system.
The kinetic theory of gases shows that o is given by
eqn [18].

o ¼ cA½X�
4

½18�

Equation [19] follows from this expression for o.

� d½X�
dt

¼ gcA½X�
4V

½19�

Now the loss of X may also be described in terms
of phenomenological rate equations of the type of
equation [20], where {S} represents the number of
active surface sites per unit area and kS and k0

S are the
second-order and the corresponding pseudo-first-
order rate coefficients for the surface loss process.

� d½X�
dt

¼ kSfSg½X� � k0
S½X� ½20�

From a comparison of eqns [19] and [20]

k0
S ¼

gcðA=VÞ
4

½21�

Uptake coefficients may be determined by a variety of
experimental methods. Regardless of whether the
molecule is removed by reaction on or within the
particle or bydissolving in it, eqn [21] provides the link
between the kinetics of the uptake process and the
uptake coefficient. It will be evident that the reactive
uptake coefficient is equivalent to the reaction
probability.

A complication obviously arises if a molecule does
not react irreversibly, but can desorb again from a
surface, or come out of solution to re-enter the gas
phase. In such cases, g can apparently be time-
dependent, and the measurement of the variation of
g with time provides one way of examining these
reversible processes. In the case of the atmosphere,
the most important aspect concerns the partitioning
of molecules between gaseous and liquid phases.
Solubilities of gases at low solute concentrations
obey Henry’s law (eqn [22]).

½XðsÞ� ¼ HXpX ½22�
½XðsÞ� is the concentration of X in solution, pX is its
pressure in the gas phase, and HX is the Henry’s law
coefficient (which is a function of temperature).
Henry’s law expresses an equilibrium situation, in
which the fluxes ofmolecules into and out of the liquid
are equal. However, it is straightforward to calculate
the forward and reverse fluxes, and thus the net flux
into the liquid, under nonequilibrium conditions. The
first term comes immediately from eqn [20], while
the second requires use of the diffusion equation
for transport of the molecules from the bulk liquid to
the interface. If the coefficient of diffusion for this
latter process isD, then it may be shown that eqn [23]
holds, where g0 and gt are the uptake coefficients at
time 0 and time t.

1

gt
¼ 1

g0
þ p1=2c
4HXRTD1=2

t1=2 ½23�

The equation shows how HX can be calculated from
measurements of uptake coefficient as a function
of time, or, conversely, how the variation of up-
take coefficient with time may be estimated from a
knowledge of the solubility of the gas. Note that at
‘infinite’ time, gt becomes zero: the system has reached
equilibrium.

The material developed so far is applicable both to
physical processes – adsorption, absorption, or solu-
tion – and to chemical change. In the particular case of
chemical change, we can envisage two possibilities.
Either the reaction may involve an interaction of the
gas-phase reactant with the surface or the bulk
constituent of the particle, or it may involve reaction
with some second species already adsorbed on, or
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dissolved in, the particle. The concepts set out earlier
remain applicable in the second, ‘bimolecular’, situa-
tion, but the value of fSg at the surface (eqn [20]) or the
concentration of the partner reactant Y, in solution,
will be determined by factors similar to those already
determining the adsorption or solubility of Y.

Finally, it is necessary to examine the kinetics
of reaction within the liquid phase itself. The solvent
obviously has the potential to exert a considerable
influence on the course of chemistry in the liquid
phase. In air at 1 atm pressure, and at ambient
temperature, the molecules themselves occupy only
roughly 0.2% of the total volume; in liquids,
the molecules can make up half the volume.
At pressures of 1 atm and below, we have been able
to assume that the reactant molecules undergo essen-
tially unhindered motion, and that assumption lies
behind the various formulations of kinetics that we
have discussed in previous sections. In distinction, in
liquids the reactive molecules must squeeze past the
solvent molecules (or each other, if one species is also
the bulk liquid) if they are to reach each other and
undergo reaction. Reactants, activated complexes or
intermediates, and products can also all interact with
the solvent. One manifestation of the interaction with
intermediates is that energy removal in association
reactions, such as the combination processes [XVI] or
[XVII], is virtually instantaneous and the systems
always display pure second-order kinetics in the liquid
phase, in contrast to the behavior described in the last
section for gas-phase reactants. Interactions of the
reactants and the solvent (especially water) may make
the formation of ions energetically more favorable
than in the gas phase.New reaction channelsmay thus
become accessible, and the kinetics of the processes
can be influenced by the attractive or repulsive
electrostatic interactions between the reactants,
among many other factors.

Simple treatments of liquid-phase kinetics often
start from the concept of the encounter pair of reactant
molecules that find themselves together within a
solvent cage. Two extreme cases can be envisaged. In
the first, the two species are very highly reactive
toward each other, and undergo chemical transforma-
tion within a very few ‘collisions’ within the cage. The
rate-determining process is then the diffusion of the
reactants through the solvent to form the encounter
pair, and the process is a diffusion-controlled reaction.
At the other extreme, the activation energy for
reaction may require the partners to pick up appreci-
able amounts of energy as they shake against each
other within the cage, so that the kinetics are control-
led by the rate of reaction within the cage, rather than
by the rate at which they reach it. Activation control-
led reaction kinetics then result.

For many of the liquid-phase reactions of interest in
atmospheric chemistry, the intrinsic reactivity of the
partners is, indeed, very high, leading to diffusion-
controlled kinetic behavior. A very elementary treat-
ment of the diffusion-controlled rate constant, kd,
leads to eqn [24].

kd ¼ 4prABDAB ½24�
where rAB is a hypothetical encounter distance at
which two partners A and B will react, andDAB is the
diffusion coefficient for the reactants.

The encounter distance may be roughly the sum of
the gas-kinetic radii of the partners for neutral
reactants, while the appropriate diffusion coefficient
may be similar to a mean bulk diffusion coefficient of
the reactants in the solvent.Making these assumptions
and with typical values of rAB ¼ 0:5 nm and DAB ¼
1:3�10�9 m2 s�1 (for Na1 in H2O), kD is calculated
as � 8�10�18 m3 molecule�1 s�1 or, in the units that
we have been using for rate coefficients so far,
8�10�12 cm3 molecule�1 s�1. In liquid-phase kinetics,
it is more conventional to use molar units for concen-
trations, so that the equivalent figure is (6�1023�
103�8�10� 18)E5� 109 dm3mol–1 s–1. In whatever
units this rate coefficient is expressed, it is evidently
about 40 times lower than the maximum gas-kinetic
rate coefficient. In general, a rate coefficient of
4109 dm3mol–1 s–1 for an aqueous-phase reaction
is taken to be indicative of a diffusion-controlled
mechanism.

One of the largest known rate coefficients for a
condensed-phase process is that for the very important
reaction [XVIII] (1.4� 1010 dm3mol� 1 s–1 at 298K).

Hþ þOH� ! H2O ½XVIII�
The magnitude mainly reflects the large diffusion
coefficients inwater ofOH� and, especially, ofHþ; the
rapid diffusion is itself a consequence of the special
mechanisms by which these ions migrate in liquid
H2O.

Although the diffusion coefficient is most important
in making reaction [XVIII] so fast, there is another
factor operating that may be dominant in other
reactions. The positive and negative ions attract each
other, so that the effective encounter distance can be
much greater than the gas-kinetic collision distance;
that is, rAB has to be replaced by reff in eqn [24]. For
rAB ¼ 0:5 nm, straightforward electrostatic calcula-
tions indicate that reff ought to be about 0.2 nm for
oppositely charged ions (and 0.7 nm for like charges)
in water with a relative permittivity of 78. However, it
seems that this bulk permittivity is inappropriate to the
highly ordered solvent molecules in the immediate
vicinity of the ions, and thatmore realistic values of reff
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ought to be 10 nm and 10� 9 nm for unlike and like
charges. These values mean, of course, that oppositely
charged ions will react twenty times faster than their
neutral analogues, under similar conditions, while
similarly charged ions can be assumed not to react at
all.

While this discussion has so far centered on the
behavior of the atmospherically dominant class of
diffusion-controlled reactions, some processes of
interest are activation-controlled. One characteristic
of such reactions is that the activation energy may be
smaller than for the equivalent gas-phase reaction,
because the reactant pair undergoes many individual
‘collisions’ at each encounter, whereas, in the gas
phase, the collision and the encounter are the same
thing. A particularly interesting property shown by
activation-controlled ionic reactions is that of the
kinetic salt effect. Rate coefficients are affected by the
presence of other ionic species present in the solution
that do not themselves participate in the reaction.
Interactions between oppositely charged partners are
slowed down by the presence of such salts. In the
atmosphere such effects may be of significance, since
water droplets may contain substantial amounts of
sea-salt or other similar species.

See also

Chemistry of the Atmosphere: Laboratory Studies;
Principles of Chemical Change. Laboratory Kinetics.
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Introduction

It has been known for only 50 years that the Earth’s
atmosphere is not a chemically inert system but that its
chemical composition is determined by gas-phase

reactions togetherwithmultiphase chemical processes
and transport of the component species. Gas-phase
reactions play a dominant role in determining the
concentrations of key species such as reactive green-
house gases (methane, hydrochlorofluorocarbons
(HCFCs), hydrofluorocarbons (HFCs), tropospheric
ozone, etc.), stratospheric ozone, or pollutants (sulfur
dioxide (SO2), nitrogen oxides (NO, NO2), ozone,
etc.), in the lower troposphere. In addition to oxygen,
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a large variety of trace species are involved in gas-
phase reactions. Their volume mixing ratios range
from B1.7 parts per million (ppmv) (10�6) for
methane (CH4) to fractions of parts per trillion
(pptv) (10�12) for free radicals such as the hydroxyl
radical (OH). Most gas-phase reactions occurring in
the atmosphere involve free radicals since these
reactions have low activation energies, and are thus
fast enough to participate at the relatively low
temperatures of the atmosphere (200–300K). Some
of the radicals are generated by photochemical proc-
esses activated by sunlight. Other radicals are gener-
ated as products of chemical reactions. This article
describes the key gas-phase reactions involved in the
major atmospheric chemical systems that define the
properties of the atmosphere in relation to climate, UV
radiation at the surface, and air quality.

Hydroxyl Radical-Initiated Oxidation of
Methane and Carbon Monoxide, and
Ozone Chemistry in the Remote
Troposphere

The major oxidant in the troposphere is the hydroxyl
radical (OH), which removes many trace gases. The
OH radical is produced by the photochemical pro-
cesses [I] and [II]:

O3 þ sunlightðl � 300 nmÞ ! Oð1DÞ þO2 ½I�

Oð1DÞ þH2O ! 2OH ½II�
Ozone is photodissociated by solar radiation at
wavelengths around 300 nm that reaches the Earth’s
surface (shorter-wavelength radiation is absorbed by
the stratospheric ozone layer). Excited atomic oxygen,
O(1D), is produced and a small fraction reacts with
water vapor to yield OH radicals, the major part of
O(1D) being deactivated by collisions with N2 or O2.
Oxygen atoms combine with O2 to produce ozone
according to [III]:

OþO2 þMðN2 orO2Þ ! O3 þM ½III�
O2 is therefore the primary precursor of the OH
radical, and in this way it indirectly participates in
atmospheric oxidation.

The OH radical reacts with many species such as
sulfur dioxide (SO2), nitrogen dioxide (NO2), hydro-
carbons, and other volatile organic compounds
(VOCs). Reaction with OH determines the atmos-
pheric lifetime or persistence of species that are
predominantly removed by this route. The lifetime is
expressed as t ¼ 1=k½OH�, k being the rate coefficient
for the reaction and [OH] the mean tropospheric

concentration of OH (½OH� � 106 radicals cm� 3).
Typical lifetimes are 1.5 days, 2 weeks, 2 months, and
10 years for NO2, SO2, CO, and CH4, respectively.
The minimum lifetime for a species that reacts at the
fastest possible rate with theOH radical – i.e., at every
collision – is a few hours.

In the remote troposphere, where the effects of
human activity are negligible, the OH radical reacts
mainly with methane and carbon monoxide, follow-
ing the primary reactions [IV] and [V]:

OHþ CH4 ! CH3 þH2O ½IV�

OHþ CO ! Hþ CO2 ½V�
The CH3 and H free radicals and atoms produced
combine with oxygen, as do many atmospheric
free radicals, to form peroxy radicals RO2 (ROO),
where R5CH3 or H in this case (reactions [VI]
and [VII]):

CH3 þO2ðþMÞ ! CH3O2ðþMÞ ½VI�

HþO2ðþMÞ ! HO2ðþMÞ ½VII�
In tropospheric regions where the NO concentra-

tions are very low (less than 10 pptv), the peroxy
radicals recombine to produce peroxides as in reac-
tions [VIII] and [IX]:

CH3O2 þHO2 ! CH3OOHþO2 ½VIII�

HO2 þHO2 ! H2O2 þO2 ½IX�
These reactions represent a net loss for HOx (OH and
HO2) radicals if the hydrogen peroxide (H2O2) and
methyl hydroperoxide (CH3OOH) do not regenerate
HOx by solar photodissociation.

If NO concentrations are higher thanB10 pptv, the
peroxy radicals react with NO as in reactions [X]
and [XI]:

CH3O2 þNO ! CH3OþNO2 ½X�

HO2 þNO ! OHþNO2 ½XI�
The methoxy radical (CH3O) further reacts with
oxygen as in [XII]:

CH3OþO2 ! CH2OþHO2 ½XII�
Formaldehyde (CH2O) is formed and its photodisso-
ciates or reacts with OH. CH2O is a source of
HOx, mainly through the photodissociation channel
[XIII]:

CH2Oþ sunlightðþ2O2Þ ! 2HO2 þ CO ½XIII�
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The fact that CH2O is a source of HOx makes the
oxidationofmethane anet source ofHOx at ‘high’NO
concentrations.

TheOH-initiated oxidations ofCH4 andCOare the
major processes that control the ozone budget in the
remote troposphere. The photochemical source of
tropospheric ozone is reaction [III], the oxygen atoms
needed for it being produced by photodissociation of
NO2 by sunlight according to [XIV]:

NO2 þ sunlightðl � 400 nmÞ ! NOþO ½XIV�
The sources of NO2 that lead to a net production of
ozone are reactions of NOwith HO2 and CH3O2 ([X]
and [XI]). NO2 is also produced by reaction [XV], but
this reaction has no net effect on ozone since an ozone
molecule is lost in reaction [XV] for every ozone
molecule created in reaction [III]:

NOþO3 ! NO2 þO2 ½XV�
Reactions [X] and [XI] occur only at ‘high’ NO
concentrations, the HO2 and CH3O2 radicals other-
wise combining as indicated in reactions [VIII] and
[IX]. HO2 itself can also react with ozone according
to [XVI]:

HO2 þO3 ! OHþ 2O2 ½XVI�
In the remote troposphere, therefore, the oxidation of
CH4 and CO, which produces the CH3O2 and HO2

radicals, is a source of ozone through reactions [X] and
[XI] at ‘high’ NO concentrations, and a sink through
reaction [XVI] at ‘low’ NO concentrations. The other
important gas-phase sink of ozone is its photodisso-
ciation in reaction [I].

Oxidation of Volatile Organic
Compounds (VOCs) and Photooxidant
Formation in the Polluted Troposphere

Human activities give rise to atmospheric emissions of
VOCs and NOx that may generate photochemical
smog. Species present in this form of photochemical
pollution include ozone, NO2, peroxides, carbonyl
compounds such as aldehydes, and organic nitrates.
The major classes of anthropogenic VOCs are
saturated hydrocarbons (alkanes), unsaturated hydro-
carbons (alkenes, and aromatic species such as
benzene, toluene, and xylenes), mainly emitted
by road traffic, and oxygenated organic compounds
(ketones, alcohols, ethers, esters, etc.) used as
fuel additives or solvents. Biogenic emissions of
unsaturated hydrocarbons (isoprene and terpenes)
from vegetation can also contribute to photooxidant
formation.

OH-Initiated Oxidation of VOCs

The degradation of VOCs is initiated mainly by
reaction with the OH radical. The reaction of satu-
rated VOCs, including hydrocarbons (RH), proceeds
by H-atom abstraction (reaction [XVII]), as already
shown in reaction [IV] for methane:

OHþ RH ! RþH2O ½XVII�
Unsaturated hydrocarbons react through addition of
OH to the unsaturated bond, as illustrated in [XVIII]
for propene:

OHþ CH3CH¼CH2 ! CH3

.
CHCH2OH ½XVIII�

The organic radicals produced in the addition reac-
tions, also represented here by R (reaction [XIX]), add
to oxygen to form peroxy radicals, RO2:

RþO2ðþMÞ ! RO2ðþMÞ ½XIX�
In a ‘NOx-rich’ (NOx ¼ NOþNO2) polluted con-

tinental troposphere, the RO2 radicals react predom-
inantly with NOx as in [XX], [XXI], and [XXII]:

RO2 þNO ! NO2 þ RO ½XX�

! RONO2 ðorganic nitratesÞ ½XXI�

RO2 þNO2ðþMÞÐRO2NO2ðþMÞ
ðperoxy nitratesÞ ½XXII�

Reaction [XX], followedby photodissociation ofNO2

(reaction [XIV]) and addition of O to O2 (reaction
[III]) is a source of ozone. Reaction [XXI] to form
organic nitrates is significant only for RO2 radicals
involving relatively ‘large’ (complex) groups R. Per-
oxy nitrates are generally thermochemically unstable,
and decompose back to the reactants. Peroxyacyl
nitrates (RCO(O2)O2NO2) behave somewhat differ-
ently, since they are fairly stable at low atmospheric
temperatures.

The oxy radicals (RO) produced in reaction [XX]
can react with O2, for simple RO, but also decompose
or isomerize for more complex radicals such as the
pentoxy radical produced in the OH-initiated oxida-
tion of n-pentane ([XXIII] to [XXV]):

CH3Cð
.
OÞHCH2CH2CH3 þO2

! HO2 þ CH3CðOÞCH2CH2CH3 ½XXIII�

CH3Cð
.
OÞHCH2CH2CH3ðþMÞ

! CH3CHOþ CH3CH2

.
CH2ðþMÞ

ðdecompositionÞ ½XXIV�
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CH3Cð
.
OÞHCH2CH2CH3

! CH3CHðOHÞCH2CH2

.
CH2

ðisomerizationÞ ½XXV�

The products of these reactions are HO2, carbonyl
compounds (2-pentanone, CH3C(O)CH2CH2CH3;
acetaldehyde, CH3CHO), and organic radicals R
(CH3CH2CH2, CH3CH(OH)CH2CH2CH2), which
further add O2 to form new peroxy radicals, RO2,
these latter species producing the corresponding RO
by reaction with NO. HO2 produced by reaction of
RO with O2 leads to the regeneration of OH through
reaction with NO (reaction [XI]). This mechanism is
therefore a catalytic cycle that oxidizes theVOCunder
consideration into a first generation of carbonyl
products, with ozone generated as a by-product
(Figure 1).

The carbonyl compounds formed as intermediates
in these oxidation steps themselves react with OH
or are photodissociated, and they thus provide,
as already stated for formaldehyde, an addi-
tional source of HOx (OH, HO2) radicals. Acetalde-
hyde is also a source of peroxyacetyl nitrate
(PAN, CH3C(O)O2NO2), an important component
of photochemical smog (reactions [XXVI] to
[XXVIII]):

OHþ CH3CHO ! CH3COþH2O ½XXVI�

CH3COþO2ðþMÞ ! CH3CðOÞO2ðþMÞ ½XXVII�

CH3CðOÞO2 þNO2ðþMÞ
ÐCH3CðOÞO2NO2ðþMÞ ½XXVIII�

The decomposition of PAN (reaction � [XXVIII]) is
strongly temperature dependent, with lifetimes of
PAN from 1hour at 251C to 1 year at � 601C. PAN
can thus act as a reservoir of NOx that can be
transported over long distances into cold regions
before releasing NOx through decomposition in
warmer regions. NOx itself cannot be transported
directly far from its emission location since the lifetime
of the oxides (1.5 days) is limited by the sink reaction
[XXIX]:

OHþNO2ðþMÞ ! HNO3ðþMÞ ½XXIX�
In highly polluted urban areas (NOxZ5ppbv by
volume), this reaction competes with the reaction of
OH with VOCs in the cycle of Figure 1, thereby
limiting the formation of ozone through this cycle. The
removal of ozone by reaction with NO in reaction
[XV] also limits the concentrations ozone can reach in
urban areas.

NO3- and O3-Initiated Oxidation of VOCs

In addition to OH, two oxidants – the nitrate radical
(NO3) and ozone – also contribute to the initiation of
the oxidation of certain VOCs, mainly unsaturated
hydrocarbons. The NO3 radical is produced by
reaction [XXX]:

NO2 þO3 ! NO3 þO2 ½XXX�
The NO3 radical is essentially a nighttime species
because of its fast removal by photolysis during
daytime. In addition to reacting with VOCs, NO3

also reacts withNO2, forming dinitrogen pentoxide in
a reversible, equilibrium reaction [XXXI]:

NO3 þNO2ðþMÞÐN2O5ðþMÞ ½XXXI�
The concentrations of NO3 at night range between
a few pptv to a few hundred pptv. The reaction of
the NO3 radical with alkenes proceeds through
addition of the radical to the carbon–carbon double
bond in a similar way to the behavior of OH.
The oxidation chain also includes intermediate peroxy
(RO2) and oxy (RO) radicals, leading to the formation
of carbonyls and nitro-oxy carbonyls, such as
the nitro-oxy ketone CH3C(O)CH2ONO2, produced
by the NO3-initiated oxidation of propene. NO3

also reacts quite rapidly with some important un-
saturated biogenic VOCs such as isoprene and the
terpenes.

Although ozone is less reactive toward alkenes than
is OH, it contributes significantly to their oxidation
because of the much larger tropospheric ozone
concentrations (a few tens to a few hundreds ppbv)
compared to OH concentrations (0.01–1� pptv).
The initial step of ozonolysis is addition of O3

O3 O2

O2

O2h�

h�

O3

RO2

NO2

HO2

RO

OH

NO

NO NO2

Reaction with O2,
decomposition or
isomerization

Carbonyl
product(s)VOC

Figure 1 Schematic representation of free radical-catalyzed

oxidation of a VOC into its first-generation carbonyl products in the

presence of NOx , and the associated generation of ozone.
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across the double bond to form a primary ozonide
[XXXII]:

CR3R4

CR3R4

R1R2C

R1R2CO3 O

O

O+ (ozonide)

½XXXII�
The unstable ozonide fragments to form an aldehyde
or a ketone and a biradical called the Criegee
intermediate ([XXXIII] and [XXXIV]):

ozonide ! R1R2C¼Oþ R3R4

.
CO

.
O ½XXXIII�

! R3R4C¼Oþ R1R2

.
CO

.
O ½XXXIV�

The Criegee biradicals undergo complex reactions
that are so far not well understood. The re-
actions lead to carboxylic acids (RC(O)OH), alde-
hydes (RC(O)H), and hydroperoxides (ROOH). The
Criegee radicals when first formed are energy-rich;
before they are stabilized by collision, they can
decompose to produce OH radicals. This source of
OH has recently been considered to be especially
important at night when there are no photolytic
sources of the radical.

Chemistry of Halogen-Containing
Species in the Marine Troposphere

Organic halogen compounds – methyl halides
(CH3Cl, CH3Br, and CH3I), produced mainly in the
oceans – react with OH by H-atom abstraction, as
exemplified for CH3Cl in [XXXV]:

OHþ CH3Cl ! CH2ClþH2O ½XXXV�
Methyl halides are oxidizedmostly in the troposphere,
although some CH3Cl and CH3Br, with tropospheric
lifetimes in excess of 1 year, reach the stratosphere.
The tropospheric reactions of the halomethyl radicals
CH2X (X 5 Cl, Br, I) lead to halogen-atom formation.
Halogen atoms are also produced from photodissoci-
ation of photolabile species: alkyl iodides (CH3I,
CH2I2) are sources of iodine atoms;ClNO2andCl2 are
sources of chlorine atoms; and BrCl is a source of both
chlorine and bromine atoms. ClNO2, Cl2, and BrCl
are formed at the surface of sea-salt particles, which
supply halogens. Chlorine atoms react predominantly
with hydrocarbons in the troposphere, whereas reac-
tion with ozone is favored for Br (reaction [XXXVI])
and essentially exclusive for I (reaction [XXXVII]):

BrþO3 ! BrOþO2 ½XXXVI�

IþO3 ! IOþO2 ½XXXVII�

The active halogen species, X andXO (particularly Cl,
Br, and BrO), have been suggested as potential
oxidants in the troposphere that operate in addition
to OH, NO3, and ozone. Active halogens have also
been suggested as having a potential influence
on tropospheric ozone. In particular, evidence has
been reported that the halogens deplete ozone in a few
days in the Arctic troposphere in spring. The catalytic
cycle involving the self-reaction of BrO (reaction
[XXXVIII]) followed by reaction [XXXVI] converts
two O3 molecules into three O2 molecules for every
cycle completed, and is likely to be the major process
that depletes ozone in polar spring conditions:

BrOþ BrO ! Brþ BrþO2 ½XXXVIII�
Another catalytic cycle involving heterogeneous pro-
cesses on wet sea salt could also be important since it
both depletes ozone and liberates additional active
bromine from sea salt. This process has been called
‘bromine explosion’, and consists of the steps
[XXXVI] and [XXXIX] to [XLI]:

2ðBrþO3 ! BrOþO2Þ ½XXXVI�

2ðBrOþHO2 ! HOBrþO2Þ ½XXXIX�

HOBrþ ðBr� þHþ in sea saltÞ ! � � �
! Br2 þH2O

½XL�

Br2 þ sunlight ! Brþ Br ½XLI�

Net: 2HO2 þ 2O3 þ ðBr� þHþ in sea saltÞ
þ sunlight ! HOBrþ 4O2 þH2O

Oxidation of Dimethyl Sulfide in the
Marine Troposphere

Dimethyl sulfide (DMS, CH3SCH3) plays an impor-
tant role in atmospheric sulfur chemistry because its
gas-phase oxidation leads to formation of aerosols
that serve as cloud condensation nuclei, so that DMS
can have a climatic impact. DMS, which is emitted by
oceans, reacts predominantly with OH radicals, fol-
lowing two channels ([XLII] and [XLIII]):

OHþ CH3SCH3 ! CH3SCH2 þH2O

ðH-atomabstractionÞ ½XLII�

OHþ CH3SCH3 ! CH3SðOHÞCH3

ðadditionÞ ½XLIII�
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The abstraction channel dominates at higher tropo-
spheric temperatures, and the addition channel at
lower temperatures. The sulfur-containing radical
formed in the abstraction channel adds to O2 to
produce the peroxy radical CH3SCH2O2. This radical
reacts with HO2 to form the (hydro)peroxide
CH3SCH2OOH if NOx concentrations are very low.
In the presence of sufficient NOx, the peroxy radical is
converted to the oxy radical CH3SCH2O. This latter
radical decomposes as in [XLIV]:

CH3SCH2OðþMÞ ! CH3Sþ CH2OðþMÞ ½XLIV�
The CH3S radical is further oxidized to CH3SO, and
CH3SO is oxidized to CH3SO2 in the presence of the
atmospheric oxidants O2, O3, and/or NO2. CH3SO2

very likely decomposes to CH3 and SO2. SO2 is
oxidized by reactionwithOH in the gas phase, leading
to the formation of gaseous sulfuric acid ([XLV] to
[XLVII]):

SO2 þOHðþMÞ ! HOSO2ðþMÞ ½XLV�

HOSO2 þO2 ! HO2 þ SO3 ½XLVI�

SO3 þH2O ! H2SO4 ½XLVII�
SO2 can also be oxidized to H2SO4 in aqueous
aerosols, and these two processes are responsible to
acid-rain formation in SO2-polluted continental areas.
In the remote marine atmosphere, gaseous H2SO4

produced fromDMS can aggregatewith other gaseous
H2SO4 and H2O molecules to generate new aerosols
serving as condensation nuclei for clouds.

In the addition channel for the reaction of OHwith
DMS, the adduct formed reacts with O2 according to
[XLVIII]:

CH3SðOHÞCH3 þO2

! CH3SðOÞCH3 þHO2 ½XLVIII�
Dimethyl sulfoxide (DMSO, CH3S(O)CH3) is the
product of this process, and itself has recently been
found to react with OH to form methanesulfinic acid
(MSIA) as in [XLIX]:

OHþ CH3SðOÞCH3 ! CH3SðOÞOHþ CH3

½XLIX�
MSIA is also likely to react with OH by H-atom
transfer to generate theCH3SO2 radical, which in turn
will decompose to SO2 and CH3. The OH 1 DMSO
addition channel would therefore produce high yields
of SO2 and possibly of H2SO4, as does the abstraction
channel. However, these high yields might be limited

by gas-phase steps of the chain oxidation of DMS, or
by aqueous-phase reactions of soluble species such as
DMSO and MSIA. Such processes have not yet been
identified or quantified.

Ozone Chemistry in the Stratosphere

Depletion of the Ozone Layer

The stratospheric ozone layer is for a large part
controlled by chemistry, although atmospheric mo-
tions play an important role in redistributing the ozone
in the stratosphere. The Chapman mechanism was
first proposed in 1930 to explain the maintenance of
ozone in a photostationary state. The steps include [L],
[III], [LI], and [LII]:

O2 þ sunlightðlo240 nmÞ ! OþO ½L�

OþO2ðþMÞ ! O3ðþMÞ ½III�

O3 þ sunlightðlo1:14mmÞ ! OþO2 ½LI�

OþO3 ! 2O2 ½LII�
‘Odd’ oxygen ð½O� þ ½O3�Þ is produced only by

reaction [L] and is consumed only by reaction [LIV],
while reactions [III] and [LI] serve to interconvert O
and O3. Although this mechanism predicts the forma-
tion of a layer of ozone, concentrations of ozone
calculated using it are much higher than those meas-
ured. Calculated ozone concentrations can be brought
into line with measured values by postulating the
occurrence of catalytic cycles of the form [LIII]
and [LIV]:

XþO3 ! XOþO2 ½LIII�

XOþO ! XþO2 ½LIV�
Net : OþO3 ! 2O2

In such cycles, the catalytic species X and XO are not
consumed. The species X includeH,OH,NO, Cl, and
Br (with the correspondingXObeingOH,HO2,NO2,
ClO, and BrO).

Hydroxyl species For X5OH, where OH is prima-
rily produced by reaction of O(1D) with H2O, CH4,
and H2, the cycle [LV], [LVI] occurs:

OHþO3 ! HO2 þO2 ½LV�

HO2 þO ! OHþO2 ½LVI�

Net : OþO3 ! 2O2
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This cycle is important in the upper stratospherewhere
the concentrations of oxygen atoms are relatively high
as a result of fast photochemical production from
reaction [L]. In the middle and lower stratosphere,
HO2 reactswithO3 instead of oxygen atoms, resulting
in the cycle [LVII], [XVI]:

OHþO3 ! HO2 þO2 ½LVII�

HO2 þO3 ! OHþ 2O2 ½XVI�

Net : O3 ! 3O2

The efficiency of the cycles is reduced by reactions that
store the catalytic species in reservoir molecules. For
example, the HOx reservoir, H2O, is produced by
reaction [LVIII]:

OHþHO2 ! H2OþO2 ½LVIII�

NOx species For the NOx species, which mainly
result from nitrous oxide (N2O) transported to the
stratosphere, the cycle [XV], [LIX] involving oxygen
atoms depletes ozone in the upper stratosphere:

NOþO3 ! NO2 þO2 ½XV�

NO2 þO ! NOþO2 ½LIX�

Net: OþO3 ! 2O2

HNO3, ClONO2, and N2O5 are reservoirs for NO2.
HNO3, for instance, is produced by reaction of NO2

with OH (reaction [XXIX]), and slowly regenerates
NO2 and OH by photolysis.

In the lower stratosphere, NO reacts mostly with
HO2 and CH3O2, produced by oxidation of methane
that survives tropospheric oxidation and is transport-
ed to the stratosphere. The NO2 produced is photo-
dissociated, rather than reacting with oxygen atoms,
whose concentration in this region is low. Conse-
quently, in the lower stratosphere NOx is a source of
ozone from the sequence of reactions [X], [XI], [XIV],
and [III] in the same way as in generation of O3 in the
troposphere.

Chlorine species For the ClOx (Cl and ClO) species,
the primary route into the chains involves chlorine
atoms, which are produced from halocarbons, mainly
by photodissociation of chlorofluorocarbons (CFCs;
CF2Cl2, CFCl3, etc.) and byOH-initiated oxidation of
CH3Cl.Cl atoms are then converted toClOas in [LX]:

ClþO3 ! ClOþO2 ½LX�

Several reactions convert ClO back to Cl, thus leading
to catalytic cycles that deplete ozone (Figure 2), such as
[LXI] to [LXIV]:

ClOþO ! ClþO2 ½LXI�

ClOþNO ! ClþNO2 ½LXII�

ClOþHO2 ! HOClþO2 ½LXIII�

HOClþ sunlight ! OHþ Cl ½LXIV�
The reservoirs of ClOx are HCl and ClONO2. HCl,

for instance, is produced by reaction [LXV]:

Clþ CH4 ! HClþ CH3 ½LXV�
It regenerates Cl by reaction [LXVI]:

OHþHCl ! ClþH2O ½LXVI�
HCl is the major inorganic chlorine species because of
its rather low reactivity (lifetime of 10 days), the active
chlorine (Cl, ClO) representing only a few percent of
the total inorganic chlorine.

Bromine species For the BrOx (Br and BrO) species,
bromine atoms are primarily formed by photodisso-
ciation of halons (CF3Br, CF2BrCl, etc.) and CH3Br,
and partly from the OH-initiated oxidation of CH3Br.

HOCI

CIONO2

hv

hv

hv

HO2

NO2

O3

NO

CI CIO

CIO

(CIO)2CIOO

BrO

O

M

Figure 2 Chemical cycles of ozone depletion catalyzed by ClOx

species.
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The chemistry of BrOx is similar to that of ClOx. The
major cycles (below) that deplete ozone occur in the
lower troposphere:

BrOþ ClO ! Brþ ClþO2 ½LXVII�

BrþO3 ! BrOþO2 ½LXVIII�

ClþO3 ! ClOþO2 ½LXIX�

Net : 2O3 ! 3O2

BrOþHO2 ! HOBrþO2 ½LXX�

HOBrþ sunlight ! OHþ Br ½LXXI�

BrþO3 ! BrOþO2 ½LXVIII�

OHþO3 ! HO2 þO2 ½LVII�

Net: 2O3 ! 3O2

An important difference from ClOx chemistry is that
bromine atoms do not react with CH4 to produce the
HBr reservoir. The reactions of Br with H2CO and
HO2, which do produce HBr, are much slower than
the reaction of Cl with CH4 [LXV] forming HCl. In
addition, Br is more rapidly regenerated from HBr
[LXXII] than is Cl fromHCl through reaction [LXVI]:

OHþHBr ! BrþH2O ½LXXII�
Moreover, the other potential bromine reservoir,
BrONO2, is less stable than the analogous chlorine
reservoir, ClONO2. The partitioning of inorganic
bromine is therefore very different from the partition-
ing of chlorine, with a higher fraction of active
bromine (20–60%).

Ozone Hole Formation

Gas-phase reactions operating in catalytic cycles are
also responsible for the formation of the ozone hole in
the polar stratosphere in spring, although heterogene-
ous processes also need to be invoked. The heteroge-
neous processes convert the chlorine reservoirs HCl

and ClONO2 to photolabile reservoirs Cl2 and HOCl
that rapidly generate chlorine atoms even when
sunlight intensities are very low. The major catalytic
cycle (below) involves the ClO dimer (ClO)2:

ClOþ ClOðþMÞ ! ðClOÞ2ðþMÞ ½LXXIII�

ðClOÞ2 þ sunlightðl � 350 nmÞ ! Clþ ClOO

½LXXIV�

ClOOð þMÞ ! ClþO2ðþMÞ ½LXXV�

2ðClþO3 ! ClOþO2Þ ½LX�

Net: 2O3 ! 3O2

The cycle involving ClOx and BrOx radicals in
reactions [LXVII] to [LXIX] also contributes to ozone
hole formation.

See also

Boundary Layers: Surface Layer. Chemistry of the
Atmosphere: Chemical Kinetics; Ion Chemistry; Labora-
tory Studies; Principles of Chemical Change. Land–At-
mosphere Interactions: Trace Gas Exchange. Ozone:
Photochemistry of Ozone. Satellite Remote Sensing:
Surface Wind. Stratospheric Chemistry and Compo-
sition: Hydroxyl Radical. Ultraviolet, Surface.

Further Reading

Atkinson R (1994) Gas-phase tropospheric chemistry of
organic compounds. Journal of Physical and Chemical
Reference Data, Monograph 2: 11–216.

Finlayson-Pitts BJ and Pitts JN Jr (1999) Chemistry of the
Upper and Lower Atmosphere. San Diego: Academic
Press.

Le Bras G (ed.) (1997) Chemical Processes in Atmospheric
Oxidation. Berlin: Springer-Verlag.

Seinfeld JH and Pandis SN (1998) Atmospheric Chemistry
and Physics. New York: Wiley.

Wayne RP (2000) Chemistry of Atmospheres, 3rd edn.
Oxford: Oxford University Press.

Zellner R (ed.) (1999) Global Aspects of Atmospheric
Chemistry. Darmstadt/Steinkopf, New York: Springer-
Verlag.

Ion Chemistry

J L Fox, State University of New York at Stony Brook,
Stony Brook, NY, USA

Copyright 2003 Elsevier Science Ltd. All Rights Reserved.

Introduction
Most of the ionosphere is to be found in the outer
reaches of the atmosphere, the thermosphere, where
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the neutral temperature T increases with altitude
from a minimum of 160–190K near the mesopause,
which is at about 85 km in the terrestrial atmosphere.
At great heights, when the conductivity becomes
large, the temperature reaches a constant value even-
tually, the exospheric temperature ðT1Þ. The value
of the exospheric temperature depends on solar
activity and ranges from about 700 to 2000K in the
terrestrial thermosphere. Most of the ionosphere
consists of equal densities of positive ions and
electrons, although in the lowest regions of the
ionosphere, the D region, significant densities
of negative ions are present. The densities of positive
ions (and electrons) attain maximum values of
up to about 106 cm� 3 at the F2 peak near 300 km.
Positive ions are produced initially by direct ioniza-
tion of neutrals, the ultimate source of which is
largely solar energy. This solar input can take the
form of photons and photoelectrons during the
daytime or, in the auroral regions, of particles
that have their origin in the magnetosphere: energetic
electrons, and less frequently protons or even
heavier particles. Some ions are created in the
middle and lower atmosphere by cosmic ray
bombardment.

The ions that are produced are then transformed by
ion–molecule reactions, lost by recombination, or
transported to other regions of the atmosphere. In the
photochemical equilibrium (PCE) region, the densities
of ions are not affected by transport. The upper
boundary of the photochemical equilibrium region is
the altitude where the time constant for loss of an ion
by chemical reactions, tc, is equal to that for transport
by diffusion, tD. The chemical time constant or
lifetime is given by

tc ¼ ni
Li

½1�

where ni is the number density of the ion and Li is the
total rate of loss by chemical reactions.Li is the sum of
the rates of the chemical loss processes:

Li ¼
X
l

klninl ½2�

In this equation kl is the rate coefficient for reaction l,
and nl is the number density of the species that
reacts with ion i. In general the PCE boundaries for
atomic ions are lower than those of molecular ions,
but different molecular ions also have widely varying
chemical time constants that depend on the available
loss processes. The time constant for transport
by diffusion, tD, can be estimated as H2=D, where
D is the diffusion coefficient of the ion
and H ¼ kT=mg is the scale height of the neutral
atmosphere. In the formula for the scale height,
k is Boltzmann’s constant, m is the mass of the

species, and g is the acceleration of gravity. Above
the photochemical equilibrium region, transport
becomes important, and must be accounted for
in determining the density profiles of the ions.
At very high altitudes, chemistry is not significant,
and the ion density profiles are determined
only by transport processes, such as diffusion and
convection.

The evolution and distribution of the number
density of an ion i is determined by the continuity
equation

qni
qt

þr �Ui ¼ Pi � Li ½3�

In this equation the production rate Pi includes
both direct production and production by chemical
reactions and Ui is the flux of species i. At steady
state, the change in number density with time,
represented by the term qni=qt, is zero. If only
the vertical direction is considered, the divergence
of the flux becomes qfi=qz, and fi ¼ niwi where
wi is the vertical velocity component of the velocity.
Determining the velocity of an ion is fairly complex,
since the motion of an ion is determined by collisions
with neutrals and with other ions, which may
themselves be in motion. In addition, the ions
and electrons are constrained to move together due
to the polarization or charge separation electric field
that arises when the electrons, which have larger
mobilities and smaller masses, separate from the ions.
The presence of external electric and/or magnetic
fields further complicates the equations. In general, it
is not possible to solve for the ion velocities in closed
form. We can, however, write an approximate one-
dimensional equation for the vertical velocity of a
major ion i diffusing through a stationary neutral
background gas:

wi ¼ �Da sin2 I

� 1

ni

dni
dz

þ mig

kðTe þ TiÞ þ
1

Te þ Ti

dðTe þ TiÞ
dz

� �
½4�

where I is the magnetic dip angle and the ambipolar
diffusion coefficient is Da ¼ ð1þ Te=TiÞDin, where
Din is the ion–neutral diffusion coefficient. For aminor
ion diffusing through a stationary major ion, the
velocity is given approximately by

wj ¼ �Di

� 1

ni

dni
ds

þ Te

Ti

1

ne

dne
ds

þmig

kTi
þ 1

Ti

dðTe þ TiÞ
ds

� �
½5�
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where the path s is either along the magnetic field
lines or along the vertical in the absence of a magnetic
field. The ion diffusion coefficient Di must account
for collisions between the ion and the major ion j, as
well as ion–neutral collisions.

Ionization Processes

At midlatitudes, ionization may be produced by
the interaction of solar extreme ultraviolet (EUV)
photons, X-ray photons, and photoelectrons
with atmospheric gases. In the auroral regions,
energetic electrons, protons, and occasionally heavier
positively charged particles precipitate into the
atmosphere along the magnetic field lines, and
ionize and excite atmospheric atoms and molecules.
Photons in the visible region of the solar spectrum,
which are not absorbed appreciably by the
atmosphere, arise from the photosphere of the
sun, which is characterized by a temperature of
6000K. Thus the visible portion of the solar spectrum
can be approximated as that of a 6000K black-
body. The shorter wavelength ionizing photons,
however, arise from parts of the solar chromosphere,
the transition region to the corona, and the corona,
where the temperatures range from 104 to 106K.
The solar UV and X-ray spectra differ substant-
ially from that of a blackbody, and vary markedly
from low to high solar activity. An example of
a solar photon flux for the wavelength range

0–2000 Å appropriate to low solar activity is shown
in Figure 1.

The photon flux of solar radiation, FlðzÞ, in a small
wavelength interval around l at an altitude z can, for
the most part, be computed from the Beer–Lambert
absorption law:

FlðzÞ ¼ F1
l expð�tðl; zÞÞ ½6�

where F1
l is the solar photon flux outside the

atmosphere and tðl; zÞ is the optical depth which,
in the plane parallel approximation, is given
by

tðl; zÞ ¼
X
j

Z 1

z

njðz0Þsaj ðlÞ sec w dz0 ½7�

Here, njðzÞ is the number density of species j at altitude
z, saj ðlÞ is the absorption cross-section of species j at
wavelength l, and w is the solar zenith angle, the angle
of the line of sight to the sun with respect to the local
vertical.

For w greater than about 751 the optical depth must
be computed by numerical integration over the path of
the radiation in spherical geometry. For w � 90� the
optical depth is

tðl; zÞ ¼
X
j

Z 1

z

njðz0Þsaj ðlÞ

� 1� r0 þ z

r0 þ z0

� �2

sin2 w

" #�0:5

dz0 ½8�
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Figure 1 Solar photon flux as a function of wavelength from 18 to 2000 Å. (Data taken from the SC#21REFW spectrum of Hinteregger

(private communication).)
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For w larger than 901 the optical depth is given by

tðl; zÞ ¼
X
j

2

Z 1

zs

njðz0Þ
�

saj ðlÞ

� 1� r0 þ zs
r0 þ z0

� �2

sin2 w

" #�0:5

dz0

�
Z 1

z

njðz0Þsaj ðlÞ

� 1� r0 þ z

r0 þ z0

� �2

sin2 w

" #�0:5

dz0

9=
; ½9�

where zs is the tangent altitude, that forwhich the solar
zenith angle is 901 along the line connecting the sun
with the point of interest.

In a one-species atmosphere, the rate of absorption
of solar photons of wavelength l is

qaðlÞ ¼ FlsaðlÞn ½10�
It can easily be shown that for an isothermal atmos-
phere in which the scale height is approximately
constant, the absorption rate maximizes where the
optical depth is unity. This is a fairly good approxi-
mation even for regions of the atmosphere where the
scale height is not constant. The altitude of unit optical
depth for photons characterized by wavelengths from
the X-ray region to the far UV for overhead sun in the
terrestrial atmosphere is shown in Figure 2. The shape
of the curve reflects closely that of the absorption
cross-sections sa of the major atmospheric gases. N2

does not absorb longward of about 1000 Å, so in the
terrestrial atmosphere O2 is the primary absorber
between 1000 and 2000 Å. At longer wavelengths,
B2200–3000 Å, the near-ultraviolet photons are ab-
sorbed by ozone in the middle atmosphere. Photons in
the EUV (200–1000 Å) and parts of the far UV (1000–
1750 Å) are absorbed in the lower thermosphere and
upper mesosphere, and X-rays (lo200 Å) are ab-
sorbed in the lower thermosphere and mesosphere.
The strong solar Lyman a emission line at 1216 Å
penetrates through a window in the O2 absorption
cross-sections to an altitude of 75–80 km.

Photoionization of an atom or molecule (X) may be
represented as

Xþ hn ! Xþ þ en ½11�

where en is a photoelectron. Photoelectrons produced
by EUV photons are released with a range of energies
that average less than 20 eV; the primary photoelec-
tron spectra near 170 and 100 km in the terrestrial
atmosphere are shown in Figure 3. The threshold
energy at which an atom or molecule can be ionized is
called the ionization potential. Ionization potentials
and corresponding threshold wavelengths of species
commonly found in the ionospheres of the Earth,
planets, and satellites are shown in Table 1. For
molecules XY, photodissociative ionization may also
occur:

XYþ hn ! XþþYþ e ½12�
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Figure 2 Altitude of unit optical depth in the terrestrial ionosphere as a function of wavelength in the extreme and far ultraviolet

wavelength regions.
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In the latter equation, X and Y may be atomic or
molecular fragments. The energy of the photoelectron
in reaction [11] is given by

Epe ¼ hn� IX � Eex ½13�
and that in reaction [12] is

Epe ¼ hn� Ed � IX � Eex ½14�
where IX is the ionization potential of species X, Ed is
the dissociation energy of molecule XY, and Eex is the
excitation energy of the product species. In photodis-
sociative ionization,Eex may also represent the kinetic
energy of the fragments, which has been found to be
large for many atmospheric molecules.

The rate of ionization of a species j by photons of
wavelength l at an altitude z is given by

qijðl; zÞ ¼ FlðzÞsijðlÞnjðzÞ ½15�

where sijðlÞ is the photoionization cross-section. The
expression above must be integrated over the solar
spectrum to give the total photoionization rate. In
addition, it is often necessary to take into account
ionization to different final internal states of the
products, so the partial cross-sections or branching
ratios to the different states are needed. In the
atmospheres of magnetic planets, photoelectrons
originating on the dayside may travel along the
magnetic field lines to the conjugate point on the
nightside, where the field line reenters the atmosphere.
The suprathermal electrons may interact with the
atmosphere producing ionization, excitation, and
dissociation.

Auroral primary electrons have energies on the
order of kiloelectronvolts, and can ionize, excite, and
dissociate atmospheric species. Some typical terrestri-
al auroral electron spectra are shown in Figure 4.
Photoelectrons produced by photons with wave-
lengths less than about 500 Å also have enough energy
to carry out further ionization through electron-
impact ionization

Xþ en ! Xþ þ eþ e0 ½16�
and electron-impact dissociative ionization

XYþ en ! Xþ þ Yþ eþ e0 ½17�
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Figure 3 Primary photoelectron flux in the terrestrial atmosphere at 170 km, near the F1 peak, and at 100 km. Note that the spectrum at

100 km is significantly harder than that at 170 km.

Table 1 Ionization potentials (I) of common species in the

atmospheres of the Earth and planets

High I Medium I Ionized by Ly a

Species I (eV) Species I (eV) Species I (eV)

He 24.59 H2O 12.61 C4H2 10.18

Ne 21.56 CH4 12.51 CH3 9.84

Ar 15.76 O2 12.07 C3H6 9.73

N2 15.58 C2H6 11.52 NO 9.264

H2 15.43 C2H2 11.40 C2H5 8.13

N 14.53 C 11.26 C3H7 8.09

CO 14.01 C3H8 10.95 Mg 7.646

CO2 13.77 CH 10.64 trans-HCNH 7.0

O 13.62 C2H4 10.51 cis-HCNH 6.8

H 13.60 CH2 10.4 Ca 6.11

HCN 13.60 S 10.35 Na 5.139
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In these reactions e represents the energy degraded
photoelectron or auroral primary electron, and e0 the
secondary electron. The energy of the secondary
electron Ee 0 in an electron-impact ionization process
[16] is given by

Ee 0 ¼ Een � IX � Eex � Ee ½18�

where Een is the energy of the primary or photoelec-
tron, Ee is the energy of the degraded primary or
photoelectron and, as above, Eex is the excitation
energy of the product ions and/or fragments. For the
dissociative ionization process [17] the dissociation
energy of the XY molecule must also be subtracted. It
should be noted that these ionization processes must
compete with other inelastic processes that energetic
electrons can undergo, such as rotational, vibrational
and electronic excitation, dissociation and, at low
energies, with elastic collisions with the ambient
electrons.

The ionization rate qijðzÞ of a species j with
ionization potential Ij due to electron impact is
given by

qijðzÞ ¼ njðzÞ

�
Z 1

Ij

Z ðE�IjÞ=2

0

dsijðEÞ
dWs

dFðz; EÞ
dE

dWs dE ½19�

where dFðz; EÞ=dE is the differential flux of primary
electronswith respect to energy, anddsijðEÞ=dWs is the
differential cross-section for the production of a
secondary electron with energy Ws by a primary
electron with energy E. The integral over secondary
energies Ws terminates at ðE� IjÞ=2 because the
secondary electron is by convention considered to be
the one with the smaller energy. Since the average
energy of photoelectrons is less than 20 eV, the error
incurred in cutting off the integral in eqn [19] at 300 eV
or so, rather than ðE� IjÞ=2, is not serious, although
for high-energy auroral electrons and for photoelec-
trons produced by solar X-ray ionization, a larger
upper limit must be used.

The differential cross-section for the production
of a secondary electron with energy Ws is usually
adopted from an empirical formula that is normalized
so that

sijðEÞ ¼
Z ðE�IjÞ=2

0

dsijðEÞ
dWs

dWs ½20�

where sijðEÞ is the measured total ionization cross-
section at primary electron energy E. One formula in
common use is

dsijðEÞ
dWs

¼ AðEÞ
ð1þWs=WÞ2:1 ½21�
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where AðEÞ is a normalization factor and W is an
empirically determined constant, which has been
found to be equal to within about 50% of the
ionization potential for a number of species.

In practice, discrete energy loss of electrons
can easily be treated numerically if the ions can
be considered to lose their energy locally, which
is generally a good approximation for photoelectrons
near the peak altitude for the production of ions.
Since elastic scattering of electrons by neutrals mostly
changes the direction of the incident electron and
not its energy, only inelastic processes such as
excitation, dissociation, and ionization need be
considered. For ionization, of course, the energy
distribution of the secondary electrons must be taken
into account, but not the scattering angles of either the
primary or secondary electron. Below the lowest
thresholds for excitations, energetic electrons lose
their energy in elastic collisions with thermal elec-
trons. This process and rotational excitation are often
approximated as continuous rather than as discrete
excitations.

The slowing down of high-energy auroral primary
electrons or photoelectrons arises from both elastic
and inelastic scattering processes, and cannot be
treated using the local energy loss approximation. In
solving the equations for electron transport, the angle
through which the primary electron is scattered, as
well as the change in energy of the primary electron
and the production of any secondaries, must be taken
into account. Electron transport methods should also
be applied to determine the spectrum of high-altitude
photoelectrons, which stream up from near the iono-
spheric peak.

Several methods for approximating the energy
deposition of auroral electrons are currently in
use. In the continuous slowing-down approxima-
tion (CSDA) the electrons are assumed to lose their
energy continuously and at the same rate, and to be
scattered only in the forward direction. The CSDA
provides only a rough approximation to the depth of
penetration of the electrons, and to the rates of
ion production and other energy loss processes.
In the ‘two-stream’ approximation, the electrons
are assumed to be scattered in either the forward
or backward direction. Implementation of this
method requires only the backscattering probabilities
rather than complete angular differential cross-
sections. The method has been generalized to
multistream models, in which the solid angle
range of the electrons is divided into 20 or
more intervals, so more or less complete differen-
tial cross-sections are required. Monte Carlo
methods have also been used to model auroral
precipitation.

Ion Density Profiles

Density profiles of molecular ions can often be
approximated as idealized Chapman layers. A Chap-
man layer is one inwhich the ions are produced from a
single neutral species in an isothermal atmosphere by
interactions with photons of a single wavelength. The
ions are assumed to be destroyed by recombination
with electrons or negative ions. Dissociative recombi-
nation is the process of electron recombination with a
molecular ion that leads to the production of neutral
fragments:

XYþ þ e ! Xþ Y ½22�
In fact, however, in a real ionosphere the ions are
produced in a nonisothermal background atmosphere
from a number of atmospheric species, by photons
that cover a range of wavelengths from the EUV to the
X-ray region. Also, Chapman layer theory ignores the
production of ions by photoelectron-impact ioniza-
tion. In the terrestrial atmosphere, however, there are
several regions that can be understood qualitatively as
Chapman layers.

The ionization rate qi in a one-species Chapman
layer is given by

qi ¼ Fsin ½23�
where n is the number density of the ionizable species,
F ¼ F1 expð�tÞ is the local solar photonflux, andsi is
the ionization cross-section. The ionization cross-
section is sometimes expressed as

si ¼ Zisa ½24�
where Zi is the ionization efficiency. Near the ioniza-
tion threshold of amolecule Zi is usually about 0.6, but
it increases with decreasing wavelength to a value of
1.0 for wavelengths less than about 600 Å. For an
isothermal atmosphere, if changes in the acceleration
of gravity with altitude are ignored, the scale height is
constant and the density profile of the species is given
by n ¼ n0 expð�z=HÞ.

The maximum ionization rate occurs where
the optical depth ðt ¼ nHsa sec wÞ is unity and there-
fore n ¼ 1=ðsaH sec wÞ. The maximum ionization
rate is

qimax; w ¼
F1

e

si

saH sec w
¼ qimax; 0

sec w
½25�

whereqimax; 0 is themaximum ionization rate for w ¼ 0.
Thus the maximum ionization rate decreases with
increasing solar zenith angle. We can obtain a simple
expression for the ionization rate by defining the
altitude of maximum ionization for overhead sun as
z ¼ 0. Then n0 ¼ ðsaHÞ�1 and, expressingF1 in terms
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of qimax; 0, the ionization rate is

qiðzÞ ¼ qimax; 0

� exp 1� z=H � sec w expð�z=HÞ½ � ½26�
The third term in the exponent of eqn [26] is only
significant near and below the peak. At high altitudes
ðz ! 1Þ the ionization rate decreases exponentially,
following that of the neutral species from which it is
produced, and below the peak ðas z ! �1Þ the
ionization rate rapidly approaches zero. As the solar
zenith angle increases, the peak rises and the magni-
tude of the ionization ratemaximum decreases. Figure
5 shows a production profile for an idealized Chap-
man layer on a semi-log plot, which clearly shows the
asymmetry with respect to the maximum.

If there is a minor species j embedded in the major
neutral species, its ionization rate is give by

qijðzÞ ¼ FðzÞsijnjðzÞ ½27�

where sij is the ionization cross-section of the
minor species and njðzÞ is the density of species j,
which is given by njðzÞ ¼ njð0Þ expðz=HjÞ. Below
the homopause the atmosphere is mixed and the scale
height of the minor species is equal to that of the
major species, but above the homopause the density
profile of the minor species takes on its own
scale height Hj ¼ kT=mjg, where mj is the mass
of the minor species. It can be shown that the
production rate profile of the ion produced from

species j maximizes at t ¼ H=Hj. Thus for a lighter
species, the ionization profile maximizes higher in the
atmosphere than that of the major species, even
though the absorption is controlled by the major
species.

If photochemical equilibrium prevails, the
production rate of the major molecular ion is equal
to the loss rate due to dissociative recombination
(process [22]):

qiðzÞ ¼ anine ¼ an2i ½28�
where a is the dissociative recombination coefficient,
ni is the ion density, and ne is the electron density.
Therefore the density of the ion as a function of
altitude is give by

niðzÞ ¼ qiðzÞ
a

� �1=2

¼ qimax; 0

a

 !1=2

� exp 1=2� z=2H � 1=2 sec w expð�z=HÞ½ �
½29�

Thus at altitudes above the peak, but in the photo-
chemical equilibrium region, the scale height of the ion
in a Chapman layer approaches 2H, where H is the
scale height of the neutral species from which the ions
are produced.

Actual ion density profiles differ from the
ideal Chapman profile for several reasons. First in a
real atmosphere, ionization is produced by solar
photons over a wide range of wavelengths, which
do not all reach unit optical depth at the same altitude,
as Figure 2 shows. Second, although thermospheres
are isothermal at high altitudes, they are often
characterized by increasing temperatures near
the altitude of peak ion production. Third, photoion-
ization is supplemented by photoelectron-impact ion-
ization, whose peak ionization rate occurs below
that of the EUV photons. Finally, the major ion
produced is often transformed by ion–molecule
reactions before it can recombine dissociatively.
Nonetheless, the idealized concept of the Chapman
layer is useful in understanding the general shape
of ion profiles and their behavior as the solar zenith
angle changes. In addition, ion layers produced
by auroral precipitation may take on an appearance
similar to that of a Chapman-type layer, although
energetic electrons are not extinguished, as are
photons, in producing an ion.

Ionospheric Regions

The division of the ionospheres of the Earth
and planets into regions is based on the structure of
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the terrestrial ionosphere, which consists of overlap-
ping layers of ions. These layers are the result
of changes both in the composition of the thermo-
sphere and in the sources of the ionization, and
are illustrated in Figure 6. The major molecular
ion layer is the F1 layer, which is produced by
absorptionofEUVphotonswithwavelengths between
about 300 and 1000 Å by the major thermospheric
species. The F1 peak appears where the ion produc-
tion due to solar EUV absorption as a whole
maximizes. The columndensities of the neutral species
in the F1 region are on the order of 1017 cm� 2. The
ions in the F1 region are mostly molecular and the
density distribution of ions can be approximated as a
Chapman layer, although in the terrestrial atmosphere
the F1 peak appears in the electron density profile only
as a ledge in the range 170–200 km. In the ionospheres
of Venus and Mars, the F1 peaks are also the peaks of
the electron density profiles. The solar activity varia-
tions of the F1 peaks are approximately proportional
to the square root of the variations of the EUV solar
fluxes.

In the E region the ions are produced by shorter-
and longer-wavelength photons than those that

produce the F1 region. These photons, which include
soft X-rays (l ¼ 10–100 Å) and Lyman b at 1026 Å,
which can ionize O2 and NO, are absorbed deeper in
the atmosphere. The column densities of the
neutral species are on the order of 1019 cm� 2

and the ion layer can be approximated as a Chapman
layer. High-energy photons in the X-ray region
of the spectrum penetrate further into the atmosphere,
and produce more photoelectrons with larger
average energies. Thus the peak production of
ions by photoelectrons tends to be below the photo-
ionization peak, on the bottomside of the F1 region
and in the E region. Because photonswithwavelengths
below 500 Å exhibit larger solar activity variations
than those with longer wavelengths in the EUVregion,
the peaks of the ionospheric E regions tend to exhibit
larger solar activity variations than do the F1 peaks. A
comparison of the primary photoelectron fluxes near
the F1 peak of the Earthwith those in the E region near
100 km has been presented in Figure 3. The spectrum
near 100 km is considerably harder than that at higher
altitudes.

In theD region the densities of negative ions become
appreciable, and positively charged cluster ions pro-
duced by three-body reactions appear. The ion pro-
duction is dominated by harder X-rays (wavelengths
less than 10 Å) and Lyman a, which penetrates to low
altitudes through a window in the O2 absorption
cross-sections, where it can ionize NO. Lyman a
penetrates further in the terrestrial thermosphere than
in those of other planets, where the absorption is not
dominated by O2.

The F2 region, if it appears, is the highest region
in an ionosphere,where themajor ion is an atomic ion,
which is destroyed preferentially in ion–molecule
reactions rather than by recombination. In the
terrestrial ionosphere the major atomic ion is
O1. The peak occurs where the chemical lifetime
of the ion is equal to the characteristic time
for transport by diffusion ð� H2=DÞ. This will be
discussed further below.

Transformation of Ions by Chemical
Reactions

The major ions produced in the ionospheres of the
Earth and planets are usually those from the major
neutral thermospheric species. On Earth, the major
ions produced are Nþ

2 , O
þ
2 , and O1. In the presence of

sufficient neutral densities, however, the ions are
transformed by ion–molecule reactions. Ion–molecule
reactions may be either charge transfer reactions such
as

Nþ
2 þO2 ! N2 þOþ

2 ½30�
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in which only an electron is transferred between
the two species, or ion–atom interchange reactions
such as

Nþ
2 þO ! NOþ þN ½31�

which involve rearrangement of the molecular
bonds.

Reactions between neutrals and ions are generally
faster than neutral–neutral reactions because of the
longer-range forces involved. The attractionbetween a
charged particle and a nonpolar neutral is produced by
the induction or polarization force: that between an
ion and the dipole moment that is induced in the
neutral by the proximity of the ion. The magnitude of
this force depends on the polarizability a of the neutral
and the charge q on the ion. The long-range potential
between an ion of massmi and a neutral with massmn

at separation r is �aq2=2r4, and the collision or
Langevin rate coefficient for energies less than a few
electronvolts is given by

kL ¼ 2pqða=mÞ1=2 ½32�
where

m ¼ mnmi

mn þmi
½33�

is the reducedmass of the reactants. The Langevin rate
coefficient is temperature-independent because
the capture cross-section is inversely proportional
to the velocity. In traditional units, for a singly
charged ion, the Langevin coefficient can be simply
calculated as

kL ¼ 2:34�10�9ða=mÞ1=2 cm3 s�1 ½34�
where m is in unified mass units and a is given in
Å3 or 10� 24 cm3. Polarizabilities of common atmos-
pheric species are presented in Table 2. If the neutral
has a permanent dipole or quadrupole moment, then a
term that represents the force between the charged
particle and the dipole or quadrupole must be added
onto that for the ion-induced dipole.

In the presence of sufficient neutral densities, there is
a tendency for ion–molecule reactions to transform
ions whose parent neutrals have high ionization
potentials into those whose parent neutrals have low
ionization potentials. This is rigorously true only for
charge transfer reactions, but in practice is true for
most other ion–molecule reactions, such as ion–atom
interchange, because dissociation energies of typical
atmospheric molecules differ less than ionization
potentials. Notable exceptions to this tendency are
the reactions

Cþ þ CO2 ! COþ þ CO ½35�

and

Nþ þNO ! Nþ
2 þO ½36�

Even though the ionization potential of C is 11.3 eV,
and that of CO is 14.01 eV, the lower ionization
potential is counteracted by the large dissociation
energy of CO (11.1 eV), which is twice that of CO2

(5.45 eV). In reaction [36], the difference between the
ionization potentials of N2 (15.58 eV) and N
(14.54 eV) is counteracted by the large dissociation
energy of N2 (9.76 eV) compared to that of NO
(6.49 eV). The latter reaction tends to proceed, how-
ever, via charge transfer rather than by abstraction.

This principle is illustrated by the chemistry of Nþ
2 .

N2 has a very high ionization potential, and Nþ
2 is

produced in large quantities in the terrestrial iono-
sphere by photoionization and electron-impact ioni-
zation, but its steady-state densities are low. For Nþ

2,
few chemical production mechanisms exist, but many
loss processes are possible. Figure 7 shows altitude
profiles of the production and loss mechanisms of Nþ

2

for a model of the terrestrial ionosphere.
By contrast, NO has the lowest ionization potential

of the major ionospheric species (other than metal
atoms). There are many mechanisms for the produc-
tion of NO1, but only one significant loss process,
dissociative recombination:

NOþ þ e ! NþO ½37�
Even in the absence of neutral NO, NO1 is produced
by ion–atom interchange reactions in oxidizing at-
mospheres. The major sources of NO1 for a model of
the terrestrial ionosphere are shown in Figure 8. The
lower thermospheres of Venus and Mars are domi-
nated by CO2, with a small admixture of about N2

Table 2 Polarizabilities of common atmospheric species

Species Polarizability (Å3)

H 0.667

He 0.205

Ar 1.642

C 1.78

N 1.078

O 0.734

H2 0.807

N2 1.74

O2 1.57

CO 1.97

NO 1.71

CO2 2.93

H2O 1.43

CH4 2.59

Data taken from Mason EA and McDaniel EW (1988) Transport

Properties of Ions in Gases. New York: Wiley.
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(2–4%); O2 is only a minor species, comprising less
than 1% of either thermosphere. Because of the small
ionization potentials of NO and O2, however, NO1

and Oþ
2 are the major ions in the lower ionospheres of

Venus and Mars, as well as in that of the Earth.
In the reducing atmospheres of the outer planets

and satellites, where hydrogen is abundant, at low
enough altitudes where collisions with neutrals are
sufficiently frequent, ionization flows from species
formed by protonation of neutrals that have smaller
proton affinities to those formed by protonation of
neutrals that have large proton affinities. Proton
affinities for several major and minor atmospheric
species in reducing atmospheres are shown inTable 3.
There are no in situ measurements of the ion compo-
sition of the outer planets, but models predict that Hþ

3

and hydrocarbon ions dominate the lower iono-
spheres.

Molecular ions are destroyed efficiently by dissoci-
ative recombination (process [22]) in regions where
the electron densities are sufficiently large. The long-
range coulomb forces between the ion and electron
lead to rate coefficients ðaÞ that are large, on the order
of 10�7 cm3 s� 1 at thermal electron temperatures
ðTeÞ, and simple theory predicts a negative tempera-
ture dependence of T�0:5

e . In practice, however, the
values of a of common atmospheric ions are found to
vary as T0:5�0:25

e . Some dissociative recombination
coefficients relevant to the ionospheres of the terres-
trial planets are given in Table 4.

Since atomic ions cannot undergo dissociative
recombination, the only recombination mechanism
available to an ion such as O1 is radiative recombi-
nation:

Oþ þ e ! Oþ hn ½38�

Radiative recombination is the reverse of photoioni-
zation, and the spectrum of photons emitted is a
continuum with a cutoff at the ionization potential of
the product neutral atom. Radiative recombination
reactions are very slow, with rate coefficients on the
order of 10� 12 cm3 s� 1 at 300K. Because the electron
and ion must remain in close proximity long enough
for the emission of a photon, such reactions tend to
have inverse temperature dependences.

Because radiative recombination is slow, it is rarely
a major loss process for an atomic ion. In the presence
of sufficient neutral densities, atomic ions are trans-
formed into molecular ions via ion–molecule reac-
tions. The molecular ions are then destroyed by
dissociative recombination. For example, O1 is pro-
duced mainly by photoionization and electron-impact
ionization of O; the peak production of O1 in the
terrestrial ionosphere is near 175 km.Overmost of the
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ionosphere, loss of O1 is dominated by reaction
with O2

Oþ þO2 ! Oþ
2 þO ½39�

and with N2

Oþ þN2 ! NOþ þO ½40�
Altitude profiles of the most important sources and

chemical sinks of O1 are shown in Figure 9.
A schematic diagram of ion chemistry in the

terrestrial ionosphere is shown in Figure 10. In this

diagram, the ionization potentials of the parent
neutrals decrease downward. Where collisions are
sufficiently frequent, generally at lower thermospheric
altitudes, ionization tends to flow from the ions near
the top of the diagram to those near the bottom.

If ion–molecule reactions were the only loss process
for atomic ions, their densities would increase with
altitude indefinitely, since the densities of the neutral
species with which they react decrease exponentially
with altitude. At altitudes above that at which the
chemical lifetime tc ¼ n=L, where L is the total
chemical loss rate of the ion and n is its number
density, is equal to its diffusion time, tD � H2=D,
where H is the scale height of the neutral atmosphere
and D is the ion diffusion coefficient, the major loss
process for an atomic ion is downward diffusion. This
effect produces the F2 peak near 300 km, where the
major positive ion is O1 in the terrestrial ionosphere.
Such pronounced F2 peaks do not appear onMars and
Venus for a number of reasons, including the smaller
mixing ratios of O and the smaller neutral scale
heights. The combination leads to lower altitude and
lower density peaks in the O1 profiles, which do not
appear in the electron density profiles. On the outer
planets, however, H1 is predicted to form a prominent
F2 peak, the magnitude and altitude of which models

Table 3 Selected proton affinities

Neutral species Ion produced Proton affinity (eV)

H Hþ
2 2.69

N NH1 3.37

H2 Hþ
3 4.39

O2 HOþ
2 4.40

CO COH1 4.74

O OH1 5.04

N2 N2H
1 5.13

CN HCN1 5.36

CH3 CHþ
4 5.62

CO2 CO2H
1 5.67

CH4 CHþ
5 5.72

C2N C2NH
1 5.75

CN HNC1 5.80

OH H2O
1 6.16

CO HCO1 6.16

C2H6 C2H
þ
7 6.23

C2H5 C2H
þ
6 6.42

C CH1 6.46

C3H8 C3H
þ
9 6.50

NH NHþ
2 6.62

C2H2 C2H
þ
3 6.69

C2 C2H
1 6.92

C3H7 C3H
þ
8 7.03

C2H4 C2H
þ
5 7.05

H2O H3O
1 7.24

HCN HCNH1 7.46

C2H3 C2H
þ
4 7.56

HN3 H2N
þ
3 7.76

CH3CCH CH3CCH
þ
2 7.78

c-C3H6 (c-C3H6)H
1 7.80

C4H2 C4H
þ
3 7.79

C3N2 C3N2H
1 7.81

C2H C2H
þ
2 7.95

NH2 NHþ
3 8.13

HNC HCNH1 8.14

CH3CN CH3CNH
1 8.18

CH2CHCN CH2CHCNH
1 8.23

CH2 CHþ
3 8.56

NH3 NHþ
4 8.85

N2H4 N2H
þ
5 8.87

CH3NNCH3 CH3NHNCH
þ
3 8.97

CH3CHNH CH3CHNH
þ
2 9.15

CH2CHNH2 CH3CHNH
þ
2 9.37

CH2NCH3 CH2NHCH
þ
3 9.41

Computed from data taken from Lias et al. (1988).

Table 4 Dissociative recombination rate coefficients

Reaction Rate coefficient (cm3 s�1)

COþ
2 þ e ! COþO 3:50�10�7ð300=TeÞ0:5

CO11e!C1O 1:80�10�7ð300=TeÞ0:55
a

CO11e!C1O(1D) 0:25�10�7ð300=TeÞ0:55
CO11e!C(1D)1O 0:70�10�7ð300=TeÞ0:55
Oþ

2 þ e ! Oð3PÞ þOð3PÞ 0:39�10�7ð300=TeÞ0:70 for
Te � 1200K

1:48�10�8ð1200=TeÞ0:56 for
Te 	 1200K

Oþ
2 þ e ! Oð3PÞ þOð1DÞ 0:86�10�7ð300=TeÞ0:70 for

Te � 1200K

3:25�10�8ð1200=TeÞ0:56 for
Te 	 1200K

Oþ
2 þ e ! Oð1DÞ þOð1DÞ 6:05�10�8ð300=TeÞ0:70 for

Te � 1200K

2:29�10�8ð1200=TeÞ0:56 for
Te 	 1200K

Oþ
2 þ e ! Oð1DÞ þOð1SÞ 9:75�10�9ð300=TeÞ0:70 for

Te � 1200K

3:69�10�9ð1200=TeÞ0:56 for
Te 	 1200K

Nþ
2 þ e ! Nþ Nð2DÞ 1:01�10�7ð300=TeÞ0:39

Nþ
2 þ e ! Nð2DÞ þ Nð2DÞ 1:01�10�7ð300=TeÞ0:39

Nþ
2 þ e ! Nþ Nð2PÞ 1:76�10�8ð300=TeÞ0:39

NOþ þ e ! Nð2DÞ þO 3:40�10�7ð300=TeÞ0:5
NO11e!N1O 0:60�10�7ð300=TeÞ0:5
aBranching ratios interpolated at 2500K from the valuesmeasured

at collision energies of 0.0, 0.4, 1.0, and 1.5 eV. (Adapted from Fox

and Sung (2001).)
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have difficulty reconciling with the ratio occultation
electron density profiles.

D-Region Ion Chemistry

The D region of the ionosphere is found in the altitude
rangeB50–90 km.Themajor ionization source in this
region is photoionization of NO by solar Lyman a,
which penetrates through a window in the O2

absorption cross-sections. Photoionization of the ma-
jor atmospheric species by hard solar X-rays and
energetic particle ionization by cosmic rays also
contribute. These sources are, however, highly varia-
ble. The solar X-ray flux depends on the 11-year solar
cycle and the presence or absence of flares on the solar
disk. The cosmic ray flux is anticorrelated with
solar activity. Photoionization of O2ð1DgÞ by the solar
Lyman b line at 1026 Å has been suggested as a source
of ionization in the D region. O2ð1DgÞ is a metastable
electronically excited state of O2, which has a lifetime
against emission of about 4000 s. The ionization
potential of O2ð1DgÞ is about 11. 1 eV, and it is formed
by photodissociation of ozone in this region of the
atmosphere. As Figure 2 shows, however, Lyman b
penetrates to a depth of only about 99 km. Among
FUV photons capable of ionizing O2ð1DgÞ, only those
in the limited range 1090–1116 Å penetrate below
90 km.

The ions in the D region can be considered to be in
photochemical equilibrium. Just as in the E and F
regions of the ionosphere, regardless of the species
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ionized, chemical reactions in the D region tend to
transform ions produced, such as Nþ

2 , for which the
parent neutral has a high ionization potential, to the
ions Oþ

2 and NO1, and to metal ions, for which the
parent neutrals have very low ionization potentials.
Neutral metal atoms such as Fe, Mg, Na, and Ca are
produced in the mesosphere by ablation of meteor-
oids, which enter the atmosphere continuously. Be-
cause of the large neutral densities in the D region of
the atmosphere, the transformation is nearly com-
plete. Figure 11 shows the density profiles of the most
important classes of positive ions, including molecu-
lar, metal, and cluster ions, between 80 and 100 km, as
measured by a rocket. Below 80 km, cluster ions,
which will be discussed below, dominate.

Mass spectrometers carried aboard rockets have
shown that below an altitude known as the ‘transfor-
mation altitude’, near 85 km, most of the positive ions
have very large molecular weights. The transforma-
tion altitude is determined by the temperature, and by
the H2O, NO, and electron densities. These large
molecular weights correspond mostly to proton hy-
drates H1(H2O)n, where n is 1, 2, 3, or 4. It should be
noted that, in addition to the transformation reactions
discussed below, cluster ions are subject to competing
loss processes, such as photodissociation, collisional
dissociation, and dissociative recombination, which
for such large loosely bound ions are characterized by
rate coefficients generally in excess of 10�6 cm3 s� 1.
Below 70 km, the cluster ions can be destroyed by
mutual neutralization processes with negative ions.

The formation of the smaller cluster ions may begin
with the three-body recombination of Oþ

2 with O2:

Oþ
2 þO2 þM ! Oþ

2 ðO2Þ þM ½41�
followed by the two-body switching reaction:

Oþ
2 ðO2Þ þH2O ! Oþ

2 ðH2OÞ þO2 ½42�
Since Oþ

2 (H2O)n photodissociates or undergoes col-
lisional dissociation for n larger than 1, further
hydration of Oþ

2 is unlikely. Direct transformation to
a proton hydrate

Oþ
2 ðH2OÞ þH2O ! HþðH2OÞ þOHþO2 ½43�

or to a proton hydrate clustered with a hydroxyl
radical, H1(H2O)(OH), is more probable. The latter
species may then undergo switching of the hydroxyl
radical with H2O, forming H1(H2O)2. H1(H2O)2
may also be formed by a termolecular hydration
reaction.

HþðH2OÞ þH2OþM ! HþðH2OÞ2 þM ½44�
Similar three-body hydration reactions may then
continue to occur, producing H1(H2O)3, H

1(H2O)4,
and even larger proton hydrates.

The transformation of NO1 to proton hydrates is
less straightforward, and probably does not occur via
termolecular reactions with H2O. Although they are
bound less strongly, formation of clusters with the
more abundant species N2 and CO2 in reactions such
as

NOþ þN2 þM ! NOþðN2Þ þM ½45�
and

NOþ þ CO2 þM ! NOþðCO2Þ þM ½46�
is more likely. The weakly bound cluster ions
NO1(N2) and NO1(CO2) may then be collisionally
dissociated, photodissociated, or transformed to the
hydrates via switching reactions with water, such as

NOþðXÞ þH2O ! NOþðH2OÞ þX ½47�
where X is either N2 or CO2. Because water has a
permanent dipole moment, the NO1 cluster NO1

(H2O) is more strongly bound than that with N2 or
CO2, but its dissociation energy is still less than 0.8 eV.
The NO1 affinities of neutral species are correlated
with the proton affinities, which are shown inTable 3.
NO1 clusters such as NO1(H2O)(X) may be stabi-
lized by the presence of a species X, which denotes any
of a number of abundant or tracemesospheric species.
The most stable clusters are those for which the
molecule X has a permanent dipole moment. Many of
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theNO1 cluster ions areweakly bound, and dissociate
collisionally. This tendency leads to a strong temper-
ature dependence for some of the reactions, and of the
NO1 hydration scheme.

The formation of clusters is much more likely at
temperatures near and below 200K than at room
temperature. The equilibrium constants for cluster
formation reactions increase by orders of magnitude
from 300 to 200K. Only the NO1 water cluster ion
NO1(H2O)3 reacts with H2O in a switching reaction
to produce a proton hydrate:

NOþðH2OÞ3 þH2O ! HþðH2OÞ3 þHNO2 ½48�
ForNO1(H2O)n,wheren ¼ 2; 3, unimolecular decay

NOþðH2OÞn ! NOþðH2OÞn�1 þH2O ½49�
is themost important loss process. For n 	 4, theNO1

clusters decay via

NOþðH2OÞn ! HþðH2OÞn�1 þHNO2 ½50�

Thus only the larger proton hydrates are produced
efficiently from NO1.

A schematic diagram of possible D-region positive
ion chemistry is shown in Figure 12. Recent model
calculations of altitude profiles of the most important
positive ions are shown in Figure 13.

The density of free electrons become less than that of
negative ions below an altitude of about 70–75 km
during the daytime, and about 75–80 km at night. The
formation of negative ions begins with the pressure-
dependent three-body attachment of an electron toO2

O2 þ eþM ! O�
2 þM ½51�

and to a lesser extent by dissociative attachment

O3 þ e ! O2 þO� ½52�
Further transformation of these negative ions com-
petes with photodetachment

O�
2 þ hn ! O2 þ e ½53�
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and associative detachment

O� þO ! O2 þ e ½54�
If they are not destroyed, these initial negative ions
undergo a series of reactions that produce more stable
negative ions, which are those that are formed from
parent neutrals that have larger electron affinities.
Selected electron affinities are presented in Table 5.
Transformation reactions include three-body associa-
tion such as

O�
2 þO2 þX ! O�

4 þX ½55�
and

O�
2 þ CO2 þX ! CO�

4 þX ½56�
electron transfer reactions such as

O�
2 þNO2 ! NO�

2 þO2 ½57�

and atom abstraction reactions including

O� þ CH4 ! OH� þ CH3 ½58�

and

NO�
2 þO3 ! NO�

3 þO2 ½59�

These reactions transform the initial negative ions into
a plethora of intermediate ions, ending probably in the
terminal ions NO�

3 , CO�
3 , and HCO�

3 , the parent
neutrals of which have large electron affinities.
Termolecular clustering reactions of negative ions
may also occur, such as

CO�
3 þH2OþM ! CO�

3 ðH2OÞ þM ½60�

Negative ions may be destroyed by mutual neutrali-
zation with positive ions, the rate coefficients for
which are on the order of 10� 7 cm3 s� 1. The terminal
ions tend to have longer chemical lifetimes and larger
densities than the intermediate ions. Negative ion
chemistry is highly dependent on pressure and tem-
perature, and on the densities of minor photochemi-
cally produced constituents in the atmosphere,
especially O. Since solar fluxes play a role in electron
detachment, there is a strong day–night asymmetry.

See also

Chemistry of the Atmosphere: Chemical Kinetics;
Laboratory Studies. Ionosphere. Mesosphere: Metal
Layers. Planetary Atmospheres: Jupiter and the Outer
Planets; Mars; Venus. Thermosphere.
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Table 5 Selected electron affinities

Neutral species Ion produced Electron affinity (eV)

NO NO� B0.026

O2 O�
2 0.44

H H� 0.75

CO CO� 1.33

O O� 1.46

OH OH� 1.83

O4 O�
4 o2

O3 O�
3 2.1

CO3(H2O) CO�
3 ðH2OÞ 2.1

ClO ClO� 2.28

NO2 NO�
2 2.3

HCO2 HCO�
2 3.17

CO3 CO�
3 3.26

Cl Cl� 3.6

HCO3 HCO�
3 3.67

NO3 NO�
3 3.9

From Lias et al. (1988) and from NIST Chemistry Webbook

(webbook.nist.gov).
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Introduction

Changes in chemical composition of the Earth’s
atmosphere are governed by photochemistry that
results from the absorption of solar energy by molec-
ular trace gases. Once absorbed (in the UV-visible
range) this energy may lead to the dissociation
(fragmentation) of molecules, which thus act as the
source of the free radicals in the atmosphere. These
radicals are very reactive and play a major role in
atmospheric chemical processes. The rates and mech-
anisms of these processes may be studied in laboratory
experiments. The kinetic and mechanistic data ob-
tained are necessary input parameters for the models
used to interpret and predict changes in atmospheric
composition.

The elementary reaction of a free radical with a
molecular trace gas is usually the initiation step of a
generally complex mechanism. The kinetic parame-
ters for each individual step can be determined from
the appropriate laboratory experiments that will be

described later. A knowledge of these parameters for
the first step of the sequence of oxidation steps for a
given molecule also allows for the evaluation of the
atmospheric lifetime of this molecule. Detailed mech-
anisms of oxidation of trace gases can be established
from the observation of the temporal evolution of
intermediate and final products in atmospheric simu-
lation experiments.

Laboratory spectroscopic investigations are also
necessary to interpret the measurements of most
atmospheric trace gases, either from in situ analysis
(for example, during field campaigns) or from remote
sensing (from aircraft, balloon, or satellite observa-
tions). Trace gases also interact in the atmosphere in
the liquid phase and at the surface of condensed
materials (ice, dust, aerosol particles, etc.). Various
approaches exist in the laboratory to investigate these
multiphase reactions.

Production and Detection of
AtmosphericSpecies in theLaboratory

Atmospheric trace gases may be classified into closed-
shell species (molecules that are more or less reactive,

CHEMISTRY OF THE ATMOSPHERE / Laboratory Studies 375



but which possess no unpaired electrons) and free
radicals, which are almost always highly reactive
species. The wide variety of free radicals that are
produced in the atmosphere by photochemistry can be
generated and detected for laboratory studies in
several different ways.

Production of Free Radicals

The mode of production of free radicals depends on
both the purpose and the methodology of each study.
Generally, molecular precursors are introduced into
the experimental systems, and are dissociated into
atoms by absorption of light (photolysis) at the
appropriate wavelength or by the action of an electric
discharge (e.g., inmicrowavedischarges). Subsequent-
ly, the atoms are allowed to react with other selected
molecules toproduce the free radicals of interest. Some
examples are given here.

The most important radical in the atmosphere is
OH; it is produced in the atmosphere from the reaction
of water vapor with an oxygen atom (produced in an
excited state from the dissociation of an ozone
molecule) as in reactions [I] and [II]:

O3 þ hn ! O2 þOn ðexcitedÞ ½I�

H2OþOn ! 2OH ½II�
This source is not often used in laboratory systems. In
the laboratory, OH radicals are instead produced by
reactions such as photodissociation reactions (gener-
ally using lasers) (reactions [III]–[V]) or reactions of
atoms such as H or F (generated by microwave
dissociation of H2 or F2, for example) as in reactions
[VI] and [VII].

H2O2 þ hn ! 2OH ½III�

HNO3 þ hn ! OH ð þNO2Þ ½IV�

HONOþ hn ! OH ð þNOÞ ½V�

HþNO2 ! OH ð þNOÞ ½VI�

FþH2O ! OH ð þHFÞ ½VII�
Peroxy radicals are also important in most oxida-

tion processes in the atmosphere. These peroxy
radicals, HO2 or RO2 (where R denotes an organic
fragment from the RH molecule: for example,
R ¼ CH3), are prepared in the laboratory by reactions
or sequences of reactions. An inert ‘third body’
moleculeMmay be necessary to stabilize the products
of reaction. For HO2 the reaction [VIII] or the

sequence of reactions [IX] and [X] is involved:

HþO2 ðþMÞ ! HO2 ½VIII�

Clþ CH3OH ! CH2OHþHCl ½IX�

CH2OHþO2 ! HO2 þ CH2O ½X�
For RO2, the sequence [XI]–[XIII] is involved:

Cl2 þ hn ! 2Cl ½XI�

Clþ RH ! RþHCl ½XII�

RþO2 ð þMÞ ! RO2 ½XIII�
The halogen oxide radicals (XO, where X ¼ Cl, Br,

or I) are key species in the catalytic cycles that deplete
ozone either in the marine boundary layer or in the
lower stratosphere. Again using an appropriate pre-
cursor for the generation of X atoms (generally
involving dissociation of the X2 parent molecule),
XO radicals are produced in the laboratory by the
reaction ofXwith ozone,which is the same reaction as
that occurring in the atmosphere (reaction [XIV]):

XþO3 ! XOþO2 ½XIV�

Detection of Species

All standard analytical techniques (gas chromatogra-
phy, mass spectrometry, optical spectroscopy, etc.) are
used in laboratory systems to detect and monitor the
molecular species. Spectroscopic techniques are em-
ployed extensively for the direct detection of free
radicals. Depending on the optical absorption (or
emission) properties of the species to be detected,
electronic (UV-visible) or vibrational (infrared) spec-
troscopy is employed.

Spectroscopy The general features of spectroscopic
detection are based on the transitions that can take
place between certain defined, well-separated (quan-
tized) energy states of the species (between ground and
excited states). Emission and absorption spectroscopy
give similar information but, in practice, absorption
techniques are more widely used. Absorption spectro-
meters consist of a source of radiation, a cell, and
a detector; in some systems, a monochromator must
be interposed somewhere between source and detec-
tor. The sources of light can be lamps of various
kinds (depending on the wavelength range); incandes-
cent-filament lamps, discharge lamps, or lasers are
all used. Lasers are extremely well-suited to the
purpose, since they provide high-intensity, coherent
and monochromatic (single-frequency) radiation, and
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can be pulsed (see following section). When nonmon-
ochromatic radiation is used, a dispersing element
is incorporated, which separates the various frequen-
cies into different spatial directions. This dispersing
device can be a simple prism or a diffraction grating
(the grating causes interference betweenwaves reflect-
ing from its surface, with the direction of the emitted
beam depending on the wavelength of the radiation).
Fourier-transform techniques are used as an alterna-
tive in modern spectroscopy, especially in the infrared
range (FTIR spectroscopy). The principle is based
on the use of a beam-splitting element (Michelson
interferometer), which divides the initial radiation
into two beams with a path difference depending
on the location of a movable mirror. The recombina-
tion of the various frequencies leads to an output
signal, the intensity of which is calculated by a
computer interfaced to the spectrometer. This tech-
nique allows for a continuous monitoring of all
frequencies simultaneously (‘multiplex advantage’)
of the radiation emitted by the source. The most usual
detectors in spectroscopic techniques are either sem-
iconductor devices (photodiodes, diode arrays, or
charge-coupled devices (CCD)), mostly used in the
infrared, or photomultiplier tubes (PMT) in the UV-
visible.

Laser absorption studies widely use tunable dye
lasers as the radiation source; these are particularly
effective for studying small molecules and free radicals
of atmospheric interest. Resonance-absorption exper-
iments use light sources containing appropriate gases
that, upon excitation, emit exactly the same frequency
of radiation as that absorbed by the species to be
detected. This procedure greatly increases the sensi-
tivity of detection.

Emission techniques based on fluorescence are also
very powerful. Once a species has reached an excited
state, its energy is lost either by radiative emission or
by collisional deactivation (a process termed ‘quench-
ing’). Fluorescent emission is observed when the
species returns to its ground energetic state (fluores-
cence is not always observed, since it canbe affected by
many other processes). Like absorption, resonance
fluorescence is very often used in the gas phase for the
smallest species. When the light source for the excita-
tion is a laser, the detection technique is called laser-
induced fluorescence (LIF), which is a very versatile
and sensitive detection technique. In the infrared,
Raman spectroscopy is also used, with a particular
arrangement in which the resulting scattered beam is
observed at right angles to the initial radiation
(generally a laser beam). Photoionization techniques
are sometimes used; these are based on the ionization
of a species using an appropriate energy input, which
can be provided in different ways (multiphoton

ionization (MPI) or resonance-enhanced multiphoton
ionization (REMPI)).

Absorption spectra and spectral properties Absorp-
tion spectra are specific to the absorbing species and
depend on geometric and energetic parameters of the
molecule. In the infrared, the spectra exhibit charac-
teristic spectral lines at well-defined wavelengths and
with various shapes and intensities. TheBeer–Lambert
law (eqn [1]) expresses, at a given wavelength, the
fraction of the radiation transmitted (intensity It) after
absorption of the incident radiation (intensity I0):

log
It
I0

� �
¼ �alC ½1�

In eqn [1], a is the absorption (or extinction) coeffi-
cient (‘decadic absorption coefficient’ for logarithms
to base 10), l is the length of the cell containing the
absorbing sample (also called the optical path length),
and C the concentration of absorber. This law is of
importance in calculating the intensities of the ab-
sorptions and, overall, it allows for the determination
of the absolute concentration of the absorbing species
either in the atmosphere or in laboratory systems. For
species that are present at low concentrations (which is
the case for atmospheric free radicals) or for species
that absorb only weakly, the absorption can be made
detectable by increasing the path length ðlÞ through the
sample, which can be achieved by reflecting the
incident beam back and forth through the sample
using specially constructed multipath cells (of which
the ‘White cell’ is one design).

Studies of atmospheric species that are entirely
spectroscopic are conducted in laboratory experi-
ments or in theoretical calculations with multiple
objectives. First, for interpretation of the infrared
spectra obtained in atmospheric sounding (from the
ground, aircraft, balloons, or satellites) of trace-gas
species, spectral parameters (band strengths, pressure
broadening effects, etc.) must be well characterized.
Secondly, the interpretation of the spectra helps in
understanding themolecular structure. Very often, the
combination of spectroscopic data and quantum-
mechanical calculations provides semi-empirical
methods for application to the study of atmospheric
species. These methods allow for the determination of
the geometric and energetic structure of the species,
particularly for the possible intermediates formed in
atmospheric chemical reactions. The knowledge of the
structure and the energy of these intermediates also
helps in predicting reaction pathways and the sub-
sequent products that may be formed in the reaction
(see below).
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Other detection techniques Magnetic methods have
found application in the detection of atmospheric
species. These methods involve electron spin reso-
nance (ESR) and laser magnetic resonance (LMR),
which possess characteristicsmaking them suitable for
the study of reaction intermediates.

Mass spectrometry is a very powerful technique
employed in both atmospheric measurements and
laboratory studies. Mass spectrometers include an
introduction/sampling system, an ionization source, a
mass separation/filter, and a detection system. De-
pending on the species and the ambient conditions
(especially pressure), various kinds of mass spectro-
meters have been adapted for atmospheric species. For
the detection of free radicals, the ionization energy is
generally kept low so as to avoid fragmentation of
species that could contribute to the same mass. To this
end, photoionization (especially laser photoioniza-
tion) may be used. In chemical ionization mass
spectrometry (CIMS), ionization results from chemi-
cal reactions of ‘donor’ ions (positive or negative,
possibly associated with water molecules, forming
‘clusters’), which may transfer their charge to the
species to be detected but with insufficient energy to
fragment the molecule.

Another analytical tool, referred to as a ‘chemical
amplifier’, has been developed for the measurement of
specific atmospheric radicals, the peroxy radicals
(HO2 and RO2). Its principle is the conversion of
NO to NO2 by the radicals, and the enhancement of
the sensitivity for detection of the sampled peroxy
radicals by causing a chain reaction to occur that
amplifies the conversion by around two orders of
magnitude. A mixture of NO, CO, and air is injected
into the sample containing peroxy radicals, and the
resulting NO2 is detected and correlated with the
concentration of the peroxy radicals to be measured.

Gas-Phase Photochemistry
and Kinetics

For modeling purpose, photochemical and kinetic
parameters have to be known with the highest
accuracy and for conditions of temperature and
pressure relevant to the atmosphere.

Photodissociation Studies

For an atmospheric molecule XY, photodissociation
may occur after absorption of solar energy in the UV–
visible region [XV]:

XYþ hn ! Xþ Y ½XV�
The temporal decay of the XY concentration is given
by �d½XY�=dt ¼ j½XY�, where j is the photodissocia-

tion coefficient, which can be calculated over a
wavelength ðlÞ range from eqn [2]:

j ¼
Z

sðlÞFðlÞ IðlÞ dl ½2�

In eqn [2], sðlÞ is the absorption cross-section (with
the same significance as the absorption coefficient a
given in eqn [1]), FðlÞ is the quantum yield for
photodissociation (which is the relative number of
molecules dissociated per absorbed photon hn) and
IðlÞ is the radiation intensity. The values of sðlÞ and
FðlÞ may be temperature-dependent. As an example,
photodissociation of ozone (which ultimately leads to
the formation of atmospheric OH radicals) is repre-
sented by reaction [XVI], where the terms in paren-
theses denote excited states:

O3 þ hn ! Oð1DÞ þO2ð1DgÞ ½XVI�

Excited atomic oxygen may be formed at wavelengths
longer than310 nm (the thermodynamic threshold), as
shown by a ‘tail’ in the wavelength dependence of the
quantum yield (Figure 1). This tail may be caused by
the contribution of vibrationally excited ozone at l >
310 nm or by the participation of spin-forbidden
processes. In either case, the information improves the
knowledge of the actual production rate of OH
radicals in the atmosphere.
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Absolute Kinetic Studies

The initial reaction of an atmospheric free radical (A)
with a partner (B) is followed by further reactions
(steps), leading to a reaction scheme that is generally
complex. It is very important to know the kinetic
parameters for the initial elementary step [XVII]:

Aþ B ! CþD ½XVII�

The rate coefficient k for this bimolecular reaction is
defined according to eqn [3], where [A] and [B] denote
the concentration of A and B at any time t:

�d ½A�
dt

¼ k½A� ½B� ½3�

Two main experimental methods are used to deter-
mine the absolute value of k.

Discharge-flow reactors In the flow-tube method,
the radical reactant A is produced, for example, by
microwave discharges (to dissociate the molecular
precursorA2) or from appropriate reactions (as shown
earlier). In the reactor (consisting of a cylindrical
vessel), the radical is mixed with a continuously
flowing carrier gas, and reacts with the reaction
partner over a distance d. The reaction time t is simply
derived from the expression t ¼ d=v, where v is the
mean flow velocity. This expression can be applied as a
consequence of the low pressures generally used, thus
providing ‘plug flow’ conditions (high-pressure flow
tube methods are sometimes also used). The reaction
time (related directly to the reaction distance) is varied
by moving the injector through which the second
reactant B is introduced. At the downstream end of the

reactor, the concentration of A is measured as a
function of time (or distance), using the detectors
described previously (optical techniques, mass spect-
rometry, etc.). The rate constant k is derived from eqn
[3]; by using an excess of the reactant Bover the radical
A, pseudo-first order conditions can be obtained, so
that eqn [4] holds, where kw is the additional rate
constant for loss of the radical at the walls of the flow
tube:

�d lnðAÞ
dt

¼ k ½B� þ kw ½4�

The walls may be passivated (by special coatings) to
reduce this heterogeneous loss. The rate constant is
measured at various temperatures to permit determi-
nation of the activation energy of the reaction as given
by the ‘classical’ Arrhenius equation (eqn [5]).

k ¼ A exp � E

RT

� �
½5�

The influence of pressure may also be measured,
since many of the atmospheric reactions are pressure-
dependent, as is the case for most addition reactions
(reactions proceeding via the addition of a free radical
to the co-reactant molecule). The products of the
elementary reactions (C and D in [XVII]) are also
identified in laboratory experiments, together with
other possible products since simultaneous pathways
often exist (for example, competition may exist
between addition and abstraction channels). For
modeling purposes, it is important to know the
branching ratio for each of the channels. A schematic
flow reactor is shown (Figure 2) for the study of the
reaction between the two free radicals ClO and BrO.
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Figure 2 Schematic diagram of the discharge-flow apparatus used to study the kinetics of the reaction between BrO and ClO radicals.

Chlorine and bromine atoms (produced by dissociation of Cl2 andBr2) react withOClO andO3, to produceClO andBrO, respectively. NO

is used for the chemical titration of both radicals and C2H3Br is added to scavenge chlorine atoms in excess (to avoid complicating

reactions). The radicals are detected by a double-stage quadrupolemass spectrometer. The reaction time is varied bymoving the central

injector. Products are also detected (three bimolecular channels have been observed). In the polar stratosphere, this reaction is

responsible forB30% of the ozone hole. (Reproduced with permission from Poulet, G. et al. (1995) In: Wayne RP (ed.)HalogenOxides:

Radicals, Sources and Reservoirs in the Laboratory and in the Atmosphere. Atmospheric Environment 29: 20.)
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Flash photolysis The second main experimental
method is flash photolysis, in which the radicals are
produced by photolysis in a reaction cell using a noble-
gas flash lamp or a pulsed laser source. The decay of A
(due to its reaction with B) is followed in real time.
After taking into account the diffusion of the species
out of the observation region, a kinetic equation very
similar to eqn [4] allows for the determination of the
rate constant k. With this method, there is no
limitation on the pressure range and complications
due to heterogeneous effects are avoided. However,
these time-resolved experiments require fast-response

detectors (time scale of microseconds). An example of
a typical piece of apparatus for flash photolysis studies
is shown in Figure 3.

Other techniques Other methods sometimes em-
ployed for kinetic studies include molecular-modula-
tion photolysis (with longer illumination times than
the flash-photolysis technique, which may allow the
species to approach their stationary concentrations),
and pulse radiolysis (in which the radical species
are produced by short pulses of highly energetic
electrons).
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Figure 3 Laser photolysis apparatus for the kinetic study of a reaction of a gaseous molecule (injected at the top of the cell) with a free

radical, produced by dissociation of a precursor by the laser beam (from a UV excimer laser). The detection is achieved by LIF (laser-

induced fluorescence): the fluorescence of the radical beingexcited by a second laser (on the left), and the resulting signal is capturedbya

photomultiplier tube (PMT), mounted perpendicular to the laser axis. Temperature (measured with a thermocouple) and pressure can be

varied. (Courtesy of A.W. Mellouki.)
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Static reaction chambers (often operating at atmos-
pheric pressure, and described in the following
section) are sometimes used for relative measurements
of rate coefficients. If the species A reacts simulta-
neouslywith B1 andB2with rate coefficientsk1 and k2,
respectively, measurements of the relative rates of
decay of B1 and B2 permits the determination of the
ratio k1=k2 (and hence of k1 if k2 is known).

Studies of Gas-Phase Mechanisms:
Atmospheric Simulation Chambers

The mechanism of one elementary reaction can be
established from the measurement of the primary
products in the kinetic studies described in the
preceding sections. The overall mechanism of the
degradation of a trace gas can be obtained from
simulation experiments performed in ‘atmospheric’
(or ‘environmental’) chambers (formerly called ‘smog
chambers’ because they were used for simulating
urban photooxidant pollution).

Various types of chambers are used. They can
consist of Pyrex glass reactors of volumes ranging
from a few tenths of a liter to hundreds of liters. One
limitation of such chambers is that their surface-to-
volume ratio may be high, thus increasing the possible
importance of heterogeneous effects (‘wall effects’).
Collapsible and evacuable chambers, of smaller sur-
face-to-volume ratios (volumes up to 250m3) are also
used. Their surfaces can be of PTFE (Teflon) film or of
glass or aluminum alloy coated with PTFE (to reduce
wall effects). In the evacuable chambers, temperature
and pressure can be controlled.

The light sources used are the sunlight (for ‘outdoor’
simulation chambers) or various lamps, including
‘black’ fluorescent lamps (low-pressure mercury
lamps with a glass-filter envelope that determines the
output spectral distribution), ‘sunlamps’ (with a
phosphor that modifies the UV output), and xenon
lamps (high-pressure lamps with relatively high in-
tensities in the important range around 300 nm). The
light intensity must be measured accurately, since it is
important to the interpretation of data. Radiometers
can be used, together with relative measurements
based on the use of internal indicators: the measure-
ment of the photolysis rate of NO2 is often used, since
NO2 absorbs strongly, and dissociates at wavelengths
shorter than 430 nm (reaction [XVIII]):

NO2 þ hn ! NOþO ½XVIII�

The concentrations of the primary reactants and of
the secondary and final products are measured as a
function of irradiation time using an appropriate
analytical technique. In situ analysis can be achieved
by spectroscopic measurements, either in the UV-
visible region by using the long-path DOAS (differen-
tial optical absorption spectroscopy) technique, or in
the infrared by using tunable diodes or FTIR tech-
niques. In addition, chambers may be designed with
ports for sampling and conventional analysis of the
species. A schematic diagramof an evacuable chamber
is shown in Figure 4.

In these chambers, as employed for studies of
photooxidation, various precursors are used to gene-
rate OH radicals. For example, the photolysis of
nitrous acid ([XIX]) can be used, HONO being

DOAS
rapid-scanning

device and detector

Monochromator

In situ
multiple

reflection
optics

Teflon-coated
interior

surfaces

Temperature
control

manifold

Xenon
lamp

Michelson
interferometer

for FTIR

Quartz
window

Collection
mirror

Figure 4 Schematic diagram of the evacuable chamber at the Air Pollution Research Center, University of California, Riverside.

Atmospheric photochemistry can be simulated in such a chamber. The light source is a high-pressure xenon lamp. After some period of

illumination, the species (reactants and products) are analyzed by various optical techniques (DOAS, differential optical absorption

spectroscopy; and FTIR, Fourier transform infrared). (Reproduced with permission from Finlayson-Pitts BJ, Pitts JN Jr (2000)Chemistry

of the Upper and Lower Atmosphere. San Diego: Academic Press.)
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introduced into the chamber togetherwith the primary
reactants:

HONOþ hn ! OHþNO ½XIX�

Complications may arise from the occurrence of
the production of additional OH radicals, since
undesired HONO can be formed on the surfaces
of the chamber from the heterogeneous reaction of
NO2 (also present in the chamber) with water vapor
([XX]):

2NO2 þH2O ! HONOþHNO3 ½XX�

Under well-controlled conditions, these chamber
studies are very valuable for determining the chemical
mechanisms of the atmospheric oxidation of volatile
organic compounds (VOC). Thesemechanisms can be
established bymodeling the observed loss of the initial
reactant and the formation of secondary pollutants
such as ozone, peroxyacetyl nitrate (PAN), and other
carbonyl compounds (oxygenated organic species
such as aldehydes and ketones). A typical time–
concentration profile of an irradiated propene–NO–
air mixture is shown in Figure 5. The decay ofNO and
propene is followed by the appearance of NO2 and
organic products; the formation of ozone results from
the photolysis of NO2, in a manner similar to the
processes taking place in the atmosphere (reactions
[XXI], [XXII]):

NO2 þ hn ! NOþO ½XXI�

OþO2 þM ! O3 þM ½XXII�

Such chamber simulation experiments are widely used
for studies of the environmental acceptability of new
synthetic compounds.

Studies of Multiphase Processes

Atmospheric heterogeneous processes, in the liquid
phase or on the surfaces of liquids and solids, play an
important role in many of the chemical perturbations
of the atmosphere (for example, in the problems of
acid rain or the ozone hole). Laboratory studies of
these processes are rather difficult and often require
the separation of the processes into individual steps, as
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Figure 5 Concentration–time profiles obtained in a study of the oxidation of a typical volatile organic compound: propene (in the

presenceofNO,NO2, andair). The study is carriedout in an outdoor atmospheric chamber (EUPHORE,Valencia, Spain). It shows typical

‘smog’ behavior: the secondary pollutants (ozone, formaldehyde (HCHO), peroxyacetyl nitrate (PAN), and formic acid (HCOOH))

increase with time, whereas the primary pollutants decrease. (Courtesy of K. Wirtz.)
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Figure 6 Schematic representation of the processes involved in

the reactive uptake of gaseous species by a liquid droplet.

(Reproduced with permission from Ravishankara AR, Hanson

DR (1994) In: Moortgat GK et al. (eds) Low-Temperature

Chemistry of the Atmosphere, NATO ASI Series 21. Berlin:

Springer-Verlag.)
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illustrated in Figure 6, where the aerosol is a liquid
droplet.These steps are: (1) diffusionof the trace gas to
the surface of the aerosol; (2) accommodation at the
surface; (3) diffusion into the liquid; (4) reaction with
the solvent or a dissolved reactant; (5) diffusion of
unreacted gas or reaction product to the surface; and
(6) desorption from the surface. Characterization of
the overall process may be simplified by the fact that
one step is often rate determining.

Reactions in Solution

After gas-phase diffusion (which is much faster than
diffusion in aqueous solution), the trace gas A
dissolves in the solution and, when equilibrium is
reached, its concentration [A] is given by Henry’s law
(eqn [6]):

½A� ¼ HAPA ½6�
Here PA is the gas-phase equilibrium pressure andHA

is the Henry’s law constant, which characterizes the
solubility of the gas. This simple approach allows for
the calculation of [A], which can be altered by other
factors. First, the real behavior of the surface should be
considered as a more complex air–water ‘interface’.
Furthermore,Henry’s law constantsmust be corrected
to take into account the ionic strength of the solution
(because of the high concentration of ions in solu-
tions). Once dissolved, the species A may react in
solution in a manner similar to that described for the
gas phase, since free radicals are also present in
solution, where they initiate a complex sequence of
reactions. The reaction kinetics are studied by using
various methods, which are similar to those described
for the gas-phase studies (flash photolysis or pulse
radiolysis).

Heterogeneous Reactions

The reactions of gases at the surface of liquids or solids
can also be studied in the laboratory. The most
important parameter is the uptake coefficient, g,
which is the ratio of molecules A lost at the surface
to the number of gas-surface collisions. If, in a volume
V,o is the rate of collision ofAwith a surface of area S,
the decay rate of A per unit volume is given by eqn [7]:

�d ½A�
dt

¼ go
V

¼ g�ccS½A�
4V

½7�

The collision rateo is deduced from the kinetic theory
of gases as in eqn [8], where �cc is the average molecular
velocity:

o ¼ �ccS½A�
4

½8�

Thus, the rate constant kS for the heterogeneous
reaction (considered as a first-order process), can be

derived from eqn [7] and from the kinetic equation
(eqn [9]) as expression [10]:

�d ½A�
dt

¼ kS½A� ½9�

kS ¼ g
4
�cc
S

V
½10�

Values of the uptake coefficient g are measured by a
variety of experimental methods, to be described next,
where gaseous species may interact with surfaces by
reactive uptake.

Knudsen cells Knudsen cells for the study of uptake
coefficients consist of two chambers at very low
pressure (in the region of a few pascals) separated by
a valve. The material of interest is placed in one
chamber and the gaseous species in the other one, from
which the gas molecules can escape through a small
aperture into amass spectrometer for detection.When
the valve is open, the gas is exposed to the surface and
the loss of the species is measured from the decrease of
the flow leaving the aperture. This procedure allows
for the direct measurement of the uptake coefficient
from the ratio of gaseous species in the presence and in
the absence of the reactive surface.

Flow tubes This standard technique for gas-phase
kinetics has been extended to heterogeneous studies by
coating the flow tubewallswith thematerial of interest
(ice, for example). The gaseous species are introduced
via amovable injector, at adistanced from the detector
located at the end of the flow tube. If v is the flow
velocity, the reaction time is t ¼ d=v and, for a
cylindrical reactor for which the surface-to-volume
ratio S=V is 2=r (where r is the radius of the tube), eqn
[10] takes the form of eqn [11]:

kS ¼ g�cc
2r

½11�

This technique has also been applied to liquid-phase
reactions by designing a vertical tube with a flowing
layer of liquid (water or sulfuric acid–water mixtures,
for example).

Droplet apparatus Sometimes called the ‘droplet
train’ apparatus, this system involves a generator of
falling droplets that enter into a vertical flow tube,
where the droplets interact with gaseous species
introduced at various positions along the vertical
axis. Using the same principle that applies to the flow
tube experiments, and knowing the surface areas of
the droplets, the reactive uptake can be determined
and, after collection, the composition of the droplets
can be also measured.
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Aerosol chambers Several aerosol chambers have
been constructed, with principles of operation and
with detection systems similar to those used for gas-
phase studies, to study the kinetics andmechanisms of
heterogeneous reactions. Aerosol generators and spe-
cific devices (mobility analysers, particle counters,
etc.) are attached to these aerosol chambers.

Other surface techniques The techniques described
for studying atmospheric heterogeneous chemistry are
essentially based on the analysis of the changes in the
gas-phase concentration. However, more recently
some spectroscopic techniques of surface science
have been applied to atmospheric problems. Examples
include X-ray photoelectron spectroscopy, Auger-
electron spectroscopy, UV-photoelectron spectros-
copy, and nonlinear optical spectroscopies (such as
second-harmonic generation and sum-frequency gen-
eration), the latter being promising for probing
atmospheric species at interfaces (between gas and
condensed phases) that are poorly characterized. The

microphysics of particle formation is also an extending
domain that requires a combination of theoretical and
experimental studies.

See also

Chemistry of the Atmosphere: Chemical Kinetics; Gas
Phase Reactions; Ion Chemistry; Principles of Chemical
Change. Laboratory Kinetics.
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Equilibrium and Change

Chemical change is essentially a reflection of a
disequilibrium situation, in which a system employs
excess free energy in order to drive spontaneous
chemical processes. Ultimately, a condition of mini-
mum free energy is reached that corresponds to
chemical equilibrium. The rates at which change
occurs are the subject of reaction kinetics (see Chem-
istry of the Atmosphere: Chemical Kinetics). In this
article, emphasis is placed on the types of chemical
process that occur, with special reference to the
atmosphere.

Homogeneous Gas-Phase Reactions

Chemical reactions are conveniently categorized
by their molecularity. For an elementary reaction,
the molecularity is the number of ‘particles’ (the
word is used here to represent atoms or molecules)
participating in the process of interest (see Chemistry
of the Atmosphere: Chemical Kinetics for further
details).

Bimolecular Processes

Bimolecular processes represent a good starting point
for the discussion of chemical change, since they
involve a fully developed interaction between two
reactant species. When two particles approach each
other closely enough, the energy of the system
increases as the particles experience repulsive forces.
Consider the interaction of an atomAwith a molecule
BC. The positions of the A, B, and C atoms can be
defined in terms of the interatomic distances rAB, rBC,
and the A � � �B � � �C bond angle. That is, four dimen-
sions are required to define energy in terms of
the geometric coordinates. For a defined bond angle
(for colinear approach, say), the reduced three-
dimensional potential energy surface (PES) can be
represented by a two-dimensional contour map, as in
Figure 1A.

It is now useful to distinguish three different
outcomes of the approach of A and BC, shown
schematically in Figure 1B, C, and D. In Figure 1B,
the pathway superposed on the PES shows the rAB
distance decreasing as A approaches BC, and the
energy of the system increases up to the point at which
the speed of approach becomes zero. At this point, the
particles separate again on the same path along which
they approached each other; they have undergone an
elastic collision, in which all the energy is conserved as
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translational motion. The process represented by
Figure 1C is rather different, because the initial energy
of interaction allows the particles to reach a part of the
PES where there is an alteration of the geometry of the
forces acting on BC. As a consequence, the return path
is different from the approach path, with the B � � �C
distance undergoing periodic oscillations. Transla-
tional energy has been converted to vibrational energy
of BC in an inelastic collision that has brought about
energy transfer. Figure 1D shows the final possibility,
that of reactive collision. The motions of the particles
now take them to the configuration where the dis-
tance rBC is much larger than rAB, so that the mole-
cular species is now AB. That is, reaction [I] has
occurred.

Aþ BC ! ABþ C ½I�

The contours of the surface suggest an analogy with
mountainous terrain, in which there is a ‘valley’ that
provides the lowest-energy approach of the reactants,
and the bold line in the figure is that path. There comes
a point,marked ‘a’, beyondwhich the energy starts to
decrease again, and so product formation is now

energetically favorable. In the mountain ana-
logy, the point a is a ‘col’ or ‘pass’; in terms of
chemical kinetics, it is a transition state, of particular
significance in a major theory of chemical kin-
etics (see Chemistry of the Atmosphere: Chemical
Kinetics).

The reaction pathway (and the transition state)
shown is only one of an infinite number of possibilities.
In principle, if the potential energy surface is known,
it is possible to calculate, using the laws of mechanics,
the path followed for any initial ‘starting’ distance
and direction of approach of the reactants A and BC.
For any given speed, and internal excitation (vibra-
tion, rotation) of the reactants, the fraction of ‘trials’
leading to product formation can then be assessed, and
is related to the probability of reaction. The ordinary
macroscopic rate coefficient, k (for details see Chem-
istry of the Atmosphere: Chemical Kinetics), can
then be determined from a sum over the distributions
of translational velocity, and vibrational and rotation-
al excitation, appropriate to any temperature T:
for thermal equilibrium, the Maxwell–Boltzmann
distribution will be used. Such methods of mole-
cular dynamics would be ideal for predicting rate
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Figure 1 (A) Potential energy surface for the system A � � �B � � �C at a fixed bond angle; (B) elastic collision; (C) inelastic collision; and

(D) reactive collision.
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coefficients if only it were possible to calculate from
first principles the potential energy surfaces for all
reactions. Unfortunately, it is not yet feasible to
perform these ‘a priori’ calculations of surfaces, except
for the very simplest reactions. Modern experimental
kinetics can show the probability of passing from one
set of reactant states (translational, vibrational, rota-
tional, etc.) to one set of product states: so-called
‘state-to-state’ kinetics. The results of such experi-
ments can then be used to test hypothetical potential
energy surfaces. In this case, however, the molecular
dynamics calculations have lost their predictive value,
and the simplifications described in a separate article
chemical kinetics (see Chemistry of the Atmosphere:
Chemical Kinetics) are usually employed instead.

It is now appropriate to examine the types of
reactive bimolecular encounters that can occur in
atmospheric chemistry. The most important are:

� atom or group transfer;
� addition;
� exchange (metathesis).

Reaction [I] is, of course, formally an example of atom
transfer. Real examples of importance in atmospheric
chemistry include reactions [II]–[IV].

Oð1DÞ þH2O ! OHþOH ½II�

OþO3 ! O2 þO2 ½III�

OHþ CH4 ! H2Oþ CH3 ½IV�
Reactions [II] and [IV] are hydrogen-atom transfers,
while reaction [III] is an oxygen-atom transfer.

Additions can be illustrated for atmospheric chem-
istry by the processes in reactions [V]–[VIII].

CH3CH¼CH2 þOH ! CH3CHCH2OH ½Va�

! CH3CHðOHÞCH2 ½Vb�

C4H9 þO2 ! C4H9O2 ½VI�

CH3CH ¼ CH2 þNO3 ! CH3CHCH2ðONO2Þ
½VII�

C2H5 þ C2H5 ! C4H10 ½VIII�
We will discuss reactions of this type further in
connection with termolecular processes.

The third category of bimolecular reaction, the
exchange process, is relatively rare in atmospheric
chemistry (and, indeed, in gas-phase chemistry in
general). Many apparent examples are, in reality,

made up of several stages involving, as the bimolecular
steps, transfers and additions. A true exchange reac-
tion requires the productionof amulticenter transition
state. One example from the atmosphere that illus-
trates the problem is that of the ozonolysis of a simple
alkene (reaction [IX]).

CH3CH¼CH2 þO3 ! HCHOþ CH3CHO2 ½IXa�

! CH3CHOþ CH2O2 ½IXb�
In this case,O3 initially adds across the double bond of
the propene to form [I].

 O

 O O

 CH2 CH3HC

[ I ]

This species undoubtedly goes on to form the products
given for the two branches of reaction [IX], which
appear to be those of an exchange reaction. The
species may not, however, satisfy the formal condi-
tions for being a true transition state, but may rather
be an energy-rich adduct (ozonide). In this latter case,
the reaction is bimolecular addition, followed by
unimolecular decomposition (see later) of the adduct.

Reactions of Ions in the Gas Phase

A more convincing example of a genuine exchange
reaction than reaction [IX] is afforded by a process of
considerable significance in the ionosphere (reaction
[X]).

Oþ
2 þN2 ! NOþNOþ ½X�

This is an example of an ion–molecule reaction.
Although many ion–molecule reactions have their
counterparts in neutral chemistry, some others do not.
Three bimolecular processes that are peculiar to ion–
molecule reactions are the steps shown in reactions
[XI]–[XIII].

Nþ
2 þO2 ! N2 þOþ

2 charge transfer ½XI�

NOþ þNO�
2 ! NOþNO2

ion–ion recombination

½XII�

O�
2 þO ! O3 þ e associative detachment ½XIII�

In all three of these examples, it is the charge – positive
or negative – that is involved in the unusual behavior.

Charge on the reactant species bringswith it another
influence on ion–molecule reactions, which is that the
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rate coefficients for reaction can be orders of magni-
tude larger than the comparable reactions for neutral
reactants. This question is explored in more detail
elsewhere (see Chemistry of the Atmosphere: Chem-
ical Kinetics). The effect arises because of long-range
attractive forces between the reactants. The PES of
Figure 1 shows a monotonic increase from large
separations of the reactants until the transition state.
For charged species, however, the Coulombic interac-
tions may cause the energies to decrease at some
separations, with the consequence that long-range
attraction draws the species together. The effects
are obviously greatest for ion–ion reactions in
which the ions have charges of opposite signs, as
they do, for example, in reaction [XII]. Coulombic
forces operate over shorter ranges between ions
and neutral molecules possessing a dipole; even
nonpolar neutral molecules experience some
attraction as a result of dipoles induced as the ionic
species approaches.

Unimolecular Reactions

If the species [I] introduced in connectionwith reaction
[IX] is really an energy-rich adduct (rather than a
transition state), then its subsequent decomposition to
form the products of steps [IXa] or [IXb] is of the form
of reaction [XIV], which is a unimolecular decompo-
sition, since it involves only one chemical species in an
elementary reaction step.

ABy ! products ½XIV�

A typical atmospheric example is the decomposition
of the species ClOOw (reaction [XV]), which is
important in the chlorine-catalysed destruction of
stratospheric ozone.

ClOOy ! ClþO2 ½XV�

Although decompositions are the most important
atmospheric unimolecular reactions, isomerization
(reaction [XVI]) is another unimolecular process that
is of atmospheric significance.

ABy ! BA ½XVI�

Alkoxy radicals, in particular, can undergo both
fragmentation and isomerization, depending on their
structures. The alkoxy radicals derived from the
products of reactions [Va] and [Vb] in the oxidation
of propene, for example, fragment to yield carbonyl
compounds and further hydroxyalkyl radicals (reac-
tions [XVIIa] and [XVIIb]), while the 2-pentoxy
radical, which is an intermediate in the oxidation
of n-pentane undergoes isomerization via a cyclic

transition state (reaction [XVIII]).

CH3CHðOÞCH2OH ! CH3CHOþ CH2OH

½XVIIa�

CH3CHðOHÞCH2O ! HCHOþ CH3CHðOHÞ
½XVIIb�

CH3CHðOÞCH2CH2CH3

! CH3CHðOHÞCH2CH2CH2 ½XVIII�

The formation of the energy-rich species represent-
ed by ABy is easy enough to understand if the energy
derives from chemical reaction, as it might do in
the formation of the intermediate ozonide in reaction
[IX]. Photochemical excitation, to be discussed later,
is another way in which an energy-rich species
might be formed. However, many of the unimolecular
processes of interest are thermal reactions. The energy
that drives them is gained initially by elastic colli-
sions (see above) with other molecules, represented
for this purpose by the symbol M, which is called in
this context a third body. For example, the thermal
unimolecular dissociation of N2O5 consists of two
steps; the first is the thermal activation by collision
(reaction [XIX]) and the second the real unimolecular
decomposition (reaction [XX]).

N2O5 þM ! N2O
y
5 ½XIX�

N2O
y
5 ! NO2 þNO3 ½XX�

In the Earth’s atmosphere,M is generally, of course,
represented by the major gases N2 and O2. It is
the activation (and a corresponding deactivation) step
that gives rise to the special kinetic behavior
of unimolecular reactions that is presented elsewhere
(see Chemistry of the Atmosphere: Chemical Kinet-
ics). Experimental evidence has shown clearly that
the energy already stored within a molecule (for
example, as the thermal equilibrium population
of vibration) can contribute to the energy required
for dissociation, so that not all the energy has to
come from the collisional activation step [XIX].
It further appears that the energy can flow fairly freely
between vibrational modes in a molecule, and that
the rate of dissociation (or isomerization) of a
molecule depends on the total excess energy possessed
by the molecule over the critical energy required
to bring about the chemical change under considera-
tion. All of these features taken together must
be accommodated in sophisticated theories of the
kinetics of unimolecular reactions.
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Termolecular Addition Reactions

One class of termolecular reaction is of particular note
in atmospheric chemistry, the one involving the
combination (often, and usually erroneously, called
‘recombination’) of atoms and small radicals. The
processes shown in reactions [XXI]–[XXIV] are all of
this kind.

OþOþM ! O2 þM ½XXI�

OþO2 þM ! O3 þM ½XXII�

OHþNO2 þM ! HNO3 þM ½XXIII�

CH3 þO2 þM ! CH3O2 þM ½XXIV�
As explained elsewhere (see Chemistry of the Atmos-
phere: Chemical Kinetics), such reactions may be
kinetically third-order, as the chemical equations
suggest, but may also become second-order at high
enough pressures. Reaction [XXI] can be used to
explain why the third body, M, is essential in many of
the reactions, and thus needs to be written in to the
equation. Figure 2 shows some selected potential
energy curves for theO2molecule, of which the lowest
(‘ground state’) is labelled X and is the subject of the
current discussion. This curve is equivalent (for
BC5O2) to a section of the PES of Figure 1A taken
parallel to the abscissa, and at large rAB. Even if the two
oxygen atoms only just drift toward each other at near-
zero velocity along the asymptote at large O–O

separation, the newly formed O2 molecule neverthe-
less possesses enough energy to redissociate on the first
vibration. Only if enough energy is removed from
theOy

2 during this vibration is there the possibility that
the newly formed entity will be stabilized sufficiently
to survive as an O2 molecule. It is here, of course, that
the collision with M comes in. The rate-determining
step is this stabilization up to pressures of several
hundred bar for the atom 1 atom system, and the
kinetics remain third order until such pressures
are reached. The situation is changed if the newly
formed molecule is larger than diatomic. The product
molecules of reactions [XXI], [XXII], [XXIII], and
[XXIV] possess 2, 3, 5, and 6 atoms, implying 1, 3, 9,
and 12 internal vibrational modes, respectively. The
point is that the bond energy of the newly formed
molecule can flow into these vibrations during the first
vibration of the newbond, so that the requirements for
removal of the energy by external collisions become
increasingly less stringent. Now, the demand is that a
collision with M is required to remove energy before
the bond energy reassembles in the critical bond. It
may be that the collisional removal of energy is no
longer rate-determining, in which case the reaction
becomes kinetically second-order. These ideas are
explored in a more quantitative form in a separate
article (see Chemistry of the Atmosphere: Chemical
Kinetics). For reactions such as the combination of
two polyatomic radicals, for example CH3 and C2H5

(reaction [XXV]) the reaction would probably be
second order, and apparently bimolecular, throughout
the troposphere, the atmospheric region in which it is
likely to occur.

CH3 þ C2H5 ðþMÞ ! C3H8 ðþMÞ ½XXV�

It is for this reason that the addition reactions
[V]–[VIII] were written as simple bimolecular proc-
esses, even if, in principle, at a sufficiently lowpressure
a third body would be required to stabilize the
products suggested. What is worth emphasizing is
that the combination processes are really just another
facet of the unimolecular chemistry discussed earlier,
because the stabilization required is that of an energy-
rich molecule, here formed by what is really just
chemical activation.

The Energetics of Chemical Change

The enthalpy ðDHrÞ of a chemical reaction is the
difference between the enthalpies of the products and
the reactants, corresponding to the difference in
limiting ‘heights’ between the extreme bottom right
and extreme top left of any of the panels of Figure 1,
so long as the energy is expressed in appropriate
units. All the enthalpies are normally given for a
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‘standard’ pressure or concentration, and at a specified
temperature, but for simplicity this aspect is ignored
here. The way in which the energy of the system
changes as reaction progresses is more easily seen if
the potential energy is plotted as a function of a
distance coordinate corresponding to the distance
travelled along the reactive pathway shown in Figure
1D. Figure 3 is such a representation of energy
as a function of reaction coordinate, in this case
for an exothermic reaction (negativeDHr): for passage
in the reverse direction (that is, from AB1C to
A 1 BC), the reaction is endothermic (positive DHr).
Regardless of whether the reaction under considera-
tion is exothermic or endothermic, it can be seen that
there is nevertheless a barrier to reaction in either
direction, which corresponds to the energy of the
transition state relative to that of the starting species.
As explained earlier, and discussed in more detail in a
separate article (see Chemistry of the Atmosphere:
Chemical Kinetics) this barrier is thought to be the
explanation of the experimentally observed activation
energy that results in most thermal bimolecular
reactions showing an increase in rate with increasing
temperature.

Figure 3 makes clear a simple relationship be-
tween the barrier heights (and, therefore, expected
activation energies) for forward and reverse reactions
and the enthalpy of reaction. If the barrier heights
are Ef

c and Er
c, then the relationship is expressed

in eqn [1].

Er
c ¼ Ef

c � DHr ½1�
In principle, the vibrational zero-point energies of the
reactants and transition state ought to be included in
calculating the energy required to pass over the barrier.
Indeed, at elevated temperatures, the calculation
should provide a weighted mean for all the populated
vibrational levels. Experimental evidence clearly sup-
ports this theoretical notion, since many reactions
exhibit kinetic isotope effects, the most important of
which is associatedwith zero-point energy differences.
For example, inmanyH-orD-atom transfer reactions,
vibrations that remain in the transition state do not
involve the H or D atom. Vibrations in the reactants
may, however, include those with �H or �D contri-
butions. The lower vibrational frequency of the D-
substituted species compared with the unsubstituted
molecule puts the zero-point energy lower, and the
barrier height to be surmounted is correspondingly
larger. Rate coefficients for the deuterated species ðkDÞ
are thus lower than those for the undeuterated
molecule ðkHÞ. Calculations of the vibrational fre-
quencies suggest a maximum value for kH=kD of not
much more than five at ambient temperature, and
experimental observations give similar results for
straightforward activated reactions, thus lending
confidence in the association of activation energies
with the height of the ‘col’ on the PES.

Photochemical Change

The reactions discussed so far have been ‘thermal’:
that is, the driving force has been the exothermicity of
the chemical change, and barriers to reaction have
been overcome by the thermal translational energy of
the reactants and perhaps by their internal vibrational
energy.

Another class of reaction of enormous importance is
that of photochemical reactions, in which the driving
force is the absorption of radiation. The atmosphere is
a giant photochemical reactor, in which the light
source is the Sun. Radiation, generally in the visible
and ultraviolet regions, either fragments the atmos-
pheric constituents to produce atoms, radicals, and
ions, or excites the constituents, without chemical
change, to alter their reactivity.

Planck’s law states that the energy of one photon of
frequency n is hn, where h is the Planck constant.
Photochemists therefore usually write hn in chemical
equations as a shorthand for the photon that is a
reactant, as, for example, in the photolysis of ozone
(reaction [XXVI]).

O3 þ hn ! O2 þO ½XXVI�
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The Planck constant is known, so that the energy
per photon can be calculated immediately. A useful
conversion expresses E in the molar units kJmol�1

and employs the wavelength of radiation (l in nm)
rather than the frequency itself

E ¼ 119625

l
½2�

Thus, the red extreme of the visible spectrum
(B800 nm) corresponds to about 150 kJmol� 1, and
the violet extreme (B400 nm) to twice that energy. At
shorter wavelengths lies the ultraviolet, convention-
ally subdivided into ‘near’ ðl � 400–200nmÞ, ‘vacu-
um’ (VUV, l � 200–100 nm), and ‘extreme’ (EUV,
l � 100–10 nm) regions, with successively higher
energies. The photon energy of red light is comparable
with the bond energies of rather loosely bound
chemical species. Of common gaseous inorganic
species, ozone is, in fact, the only compound with
such a small bond energy (the O�O2 energy is
B105 kJmol–1); nitrogen dioxide, with an O�NO
bond energy of B300 kJmol–1 (D399 nm) is more
typical. Ionization becomes possible at the shorter
wavelengths (e.g. ionization of NO at B135 nm). X-
rays, gamma rays, and galactic cosmic radiation
(GCR) constitute the shortest ðlo10 nmÞwavelengths
of the electromagnetic spectrum. The very high pho-
ton energies are associated with an ability to penetrate
as well as to ionize atmospheric gases. The point to be
emphasized is that the visible region contains the
lowest-energy photons of the entire electromagnetic
spectrum that are capable of promoting chemical
change in single quantum events.Manymore photons
arrive in each second at a planet at longerwavelengths,
but they can only heat the atmosphere up.

Thewavelengths atwhich chemical change becomes
possible also correspond roughly to the energies at
which electronic transitions are excited in atoms and
molecules. Longer wavelengths tend to excite molec-
ular vibrations or rotations. Although high vibrational
levels are involved in some photochemical processes,
electronic excitation is the spectroscopic step most
frequently associated with photochemical change.
Even very weak, highly forbidden, transitions can
contribute to atmospheric absorption because of the
large optical paths involved. Small, low molecular
weight chemical species generally show intense elec-
tronic absorption at shorter wavelengths than more
complex compounds. Molecular oxygen absorbs
strongly for lo200 nm, H2O for lo180 nm, and
CO2 for lo165 nm, while N2 and H2 absorb signif-
icantly only for lo100 nm. It is the limitation on
laboratory experiments in air, resulting from the O2

absorption, that has led to the term ‘vacuum’ ultra-

violet for lo200 nm. Atmospheres tend to act as
filters, cutting out short-wavelength radiation, since
the absorptions of their major constituents are gener-
ally strong at wavelengths shorter than the threshold
value. As a result, photochemically active radiation
that penetrates deeper into an atmosphere is of longer
wavelength than that absorbed higher up, and the
associated chemistry is characterized by lower ener-
gies. The principle is well exemplified by the chemistry
of Earth’s atmosphere. Tropospheric photochemistry
is dominated by species such as O3, NO2, SO2, and
HCHO that absorb in the near-ultraviolet. At pro-
gressively higher altitudes, photodissociation of O2

and photoionization phenomena become the most
important processes. At ground level, only radiation
with l > 300 nm (D400 kJmol–1) remains, and the
peak intensity is at l � 500 nm (D240 kJmol–1).

Photochemical Primary Processes

Absorption of a photon of photochemically active
radiation leads to electronic excitation, a process that
may be represented symbolically as reaction [XXVII].

ABþ hn ! ABn ½XXVII�
Many fates of the excited ABn molecule are recog-
nized, and several of them occur in atmospheres.
Figure 4 summarizes the processes most frequently
encountered, and theywill be discussed briefly in turn.
Pathway (v), chemical reaction, includes all processes
where reaction is possible for, or rates are enhanced
with, electronically excited reactants.

Photodissociation, Photoionization, and
Intramolecular Energy Transfer

Routes (i) and (ii) lead to fragmentation of one kind or
another. Fragmentation of a chemical species follow-
ing absorption of light is one of the most important
photochemical processes in atmospheric chemistry.
Photodissociationmay come aboutwhen the energy of
the absorbed photon exceeds the binding energy of the
chemical bond under consideration. That is, the
species ABn excited initially in the absorption event
[XXVII] can lie energetically above the dissociation
threshold in the molecule, and the bond can then
rupture in some way. Two main mechanisms
are recognized for this photochemical rupture. The
potential energy curves of Figure 2 illustrate these
processes for the photodissociation of the O2 mole-
cule. The molecule in its ground state, labeled in the
diagram as X, can absorb ultraviolet radiation to
populate the curve labeled B. If the wavelength of
absorbed radiation is short enough that the B state is
populated above the dissociation limit of the products
O(3P)1O(1D), then direct or optical dissociation can
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lead to the formation of these fragments. Predissoci-
ation can lead to the dissociation at lower energies
(longer wavelengths). The dashed curve in the figure
crosses the B state. Process (iii) of Figure 4, intramo-
lecular energy transfer, can generate a new electronic
state of the same molecule by a radiationless transi-
tion. This new electronic state of O2 is ‘repulsive’, and
falls apart to form the fragments O(3P)1O(3P). Both
mechanisms are thought to operate in the atmospheric
production of O atoms from O2. Note that the direct
dissociation route produces an (electronically) excited
atomic fragment, O(1D), as well as a ground-state
atom. Such excitation in the fragments of photodisso-
ciation is of common occurrence. Indeed, the photo-
dissociation of O3 by ultraviolet radiation, already
represented by equation [XXVI], can produce two
excited fragments (reaction [XXVIa]) and both frag-
ments are of importance in atmospheric chemistry.

O3 þ hn ! O2ða1DgÞ þOð1DÞ ½XXVIa�

The curve labeled a in Figure 2 is, in fact, the potential
energy curve for the electronic state of O2 formed in
this atmospherically most important step.

Photoionization (process (ii) in Figure 4) may be
regarded as a special case of photodissociation, but
one in which the products are a positively charged ion
and an electron. Reactions [XVIII] and [XXIX] are
typical of photoionization.

Oþ hn ! Oþ þ e ½XXVIII�

O2 þ hn ! Oþ
2 þ e ½XXIX�

In general, the energies (ionization potentials) re-
quired to remove an electron from an atom or
molecule are larger than those needed to split a
molecule into chemical fragments. For example, the
ionization process [XXIX] requires lt103 nm.
Mechanisms of photoionization are analogous to
those for dissociation, both direct ionization and
preionization (autoionization) being recognized. Ex-
cited electronic (and, in molecules, vibrational and
rotational) states of the ions may be generated.

Luminescence or Emission

Pathway (iv) of Figure 4 is the emission of radiation,
usually termed luminescence. A distinction is often
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made in photochemistry between transitions in emis-
sion that are allowed, in which case the phenomenon
is termed fluorescence, and those in which it is
forbidden, in which case the phenomenon is phospho-
rescence. Such emission is responsible for many
important features of the atmospheric airglow. For
example, both the excited species formed in reaction
[XXVIa] contribute to the dayglow (reactions [XXX]
and [XXXI]).

Oð1DÞ ! Oð3PÞ þ hn ðl � 630 nmÞ ½XXX�

O2ða1DgÞ ! O2ðX3S�
g Þ þ hn ðl � 1270 nmÞ

½XXXI�

Chemical Reaction

Pathway (v) shown on Figure 4 is that of chemical
reaction, in which species are formed that are chem-
ically distinct from the starting reactants. The chem-
ical reactivity of an electronically excited species may
be altered from that of the ground state both as a result
of the excess energy that it possesses and because of the
altered electronic structure. Very important examples
of the chemical reaction of an excited species in the
atmosphere involve the atom O(1D) again (reactions
[II] and [XXXII]).

Oð1DÞ þH2O ! OHþOH ½II�

Oð1DÞ þN2O ! NOþNO ½XXXII�
The reactions of ground-state, O(3P), atoms with
H2O and N2O are endothermic, and very slow
under atmospheric conditions, while the re-
actions with excited atoms are exothermic and
fast, and make essential contributions to the forma-
tion of OH and of NO in various regions of the
atmosphere.

Intermolecular Energy Transfer and Quenching

Intermolecular transfer, route (vi) of Figure 4, excites a
molecule that is often chemically distinct from
the absorbing species. An atmospheric example
can be drawn from the airglow of oxygen yet
again. Figure 2 shows a curve labelled b; this curve
represents the electronic state O2ðb1Sþ

g Þ, which con-
tributes to the airglow at l � 760 nm. Some of
the O2ðb1Sþ

g Þ is populated by direct absorption of
solar radiation during the day, but an additional
contribution is made by the energy-transfer process of
reaction [XXXIII].

Oð1DÞ þO2 ! O2ðb1Sþ
g Þ þOð3PÞ ½XXXIII�

That is, the excited oxygen atomhas transferred (some
of) its excess energy to the O2.

Quenching or deactivation (pathway vii) is a special
case of intermolecular energy transfer in which elec-
tronic excitation is degraded to vibrational, rotation-
al, and translational modes. It imposes a competition
on the other routes for decay of an electronically
excited species. For example, the rapid quenching
reaction [XXXIV] imposes a limit on the extent ofOH
or NO formation in reactions [II] or [XXXII], espe-
cially in view of the relatively small mixing ratios of
H2O or N2O compared to N2.

Oð1DÞ þN2 ! Oð3PÞ þN2 ½XXXIV�

Since quenching is a bimolecular process, it
is pressure- (and thus altitude-) dependent. Thus,
the competition with unimolecular processes
such as emission means that airglow features often
show a marked intensity decrease with decreasing
altitude.

See also

Chemistry of the Atmosphere: Chemical Kinetics;
Laboratory Studies. Laboratory Kinetics.
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Introduction

Since the first aircraft flight, pilots have been aware of
in-flight turbulence. Because the known turbulence of
the time was tied to strong, low-level winds, rough
terrain, and convection, some of the early pilots
predicted that, with the exception of thunderstorms,
the ability to attain higher flight altitude with pressu-
rized cabins would be accompanied by a marked
decrease in turbulence. This was not to be. In the
1940s, as fighter aircraft attained tropopause alti-
tudes, they experienced a previously unknown phe-
nomenon: clear air turbulence (CAT), so called
because initial encounters occurred in areas devoid
of clouds. As aircraft were designed to fly higher and
faster during the last half of the twentieth century,
CAT became the focus of many organized research
efforts. Our knowledge of CAT has grown substan-
tially as a result.

CAT is now defined as aircraft turbulence that
occurs at altitudes of 5.6 km (about 500 hPa) or higher,
either in cloud-free conditions or within stratiform
clouds. The critical influence of CAT is on flight safety.
One of the oldest schemes for the characterization of

turbulence intensity is based on deviations in vertical
acceleration from the normal acceleration of gravity
(1 g). These categories and their threshold devia-
tions are: light (70.2 g), moderate (70.5 g), severe
(71.0 g), and extreme (72.0 g). The physical impact
of CATon crew and passengers varies fromdiscomfort
for the lighter turbulence categories to loss of flight
control during the rare extreme turbulence event. In
the most intense episodes, injuries, and in some very
rare cases, fatalities have occurred. Unrestrained crew
and passengers are especially vulnerable. Flight
through turbulent conditions also produces stresses
on the airframe. Repeated turbulence encounters over
the lifetime of the aircraft may lead to metal fatigue
and, in extremely rare cases, structural failure.

Causative Mechanisms and
Characteristics

Aircraft turbulence (including CAT) differs from
turbulence in fluids as usually conceived. Aircraft
turbulence is defined in terms of the aircraft response
while classical turbulence is defined in terms of the
state of the fluid. Simply put, aircraft turbulence is
‘bumpiness in flight’. The difference is critical in that
bumpiness depends on aircraft design, weight, speed,
and pilot input, in addition to the state of the
atmosphere (gusts, windshears, or waves), which
may or may not be turbulent in the classical sense.
The discussion that follows considers atmospheric
phenomena that contribute to CATon a wide range of
scales. This section examines briefly the primary
physical characteristics and causes of microscale
CAT. It then considers macroscale and mesoscale

CLEAR AIR TURBULENCE 393



forcing mechanisms that create a favorable environ-
ment for CAT development.

Kelvin–Helmholtz Waves and CAT

Our understanding of the production of CAT and its
characteristics is rooted in theoretical studies of fluid
mechanics, in laboratory and numerical experiments,
and in field studies. The evidence from these investi-
gations is that Kelvin–Helmholtz instability (KHI)
episodes are the cause of a large fraction of CAT.
Growth and intensification of atmospheric turbulence
occur when the destabilizing effect of wind shear is
sufficient to overcome the dampening influence of
static stability. KHI produces shearing-gravity waves
with typical horizontal wavelengths of a few tens of
meters to a few kilometers, precisely the range of eddy
sizes to which most aircraft will have the maximum
response.

KHI arises from micro- and mesoscale wind shear
intensification, when smooth, wavelike oscillations
within a sheared, statically stable layer grow in
amplitude to the pointwhere thewave crests overturn,
or ‘break’.Wave-breaking at wavelengths of hundreds
of meters is highly effective in producing CAT, with a
rapid cascade of energy from the KHI to smaller-scale
turbulence and dissipation.With respect toCAT, some
of the more important characteristics of KHI are the
following:

1. The typical lifetime of an individual KHI is about
5minutes.

2. The length of the dominant wave (most unstable
KHI mode) is proportional to the depth of the
sheared layer (i.e., about six times the depth).
However, as KHI-induced turbulence and mixing
modify the local wind shear structure and stability
stratification, variations in the KHI wavelengths
can be expected.

3. The intensity of the turbulence produced by KHI is
in direct proportion to the initial wind shear across
the layer. If the turbulent mixing caused by KHI
sufficiently weakens the background wind shear,
the turbulence will decay and the flow will again
become laminar. However, if turbulent mixing
strengthens the wind shears near the boundaries
of the old turbulence layer then new KHI may
develop.

Another relevant result from studies of KHI has been
the development of a basic dynamic instability prin-
ciple for a simple model of shearing gravity waves.
Based on linear theory, the Miles–Howard criterion
states that unstable wave modes resulting from verti-
cal shear is likely to occur when the local gradient
Richardson number,Ri, is less than 0.25. In contrast, if

Ribecomes 1.0 ormore, andKHI are present, theywill
decrease in amplitude. The use of Ri as a practical
index for CAT diagnosis and prediction is discussed in
a later section.

Although sheared layers in which unstable KHI
occur are, typically, less than 1 km in depth, horizontal
dimensions are much larger (i.e., from B10 km
to a few hundred kilometers, often elongated in
the direction of the wind). Thus, an individual
KHI develops over a considerably smaller horizontal
scale than the sheared stable layers in which it
is embedded. This observation has four important
ramifications:

1. An aircraft flying in a sheared layermay experience
CATover a distance much greater than the scale of
an individual KHI.

2. CAT encounters are often burst-like (highly inter-
mittent) as an aircraft crosses a thin sheared layer
or as an aircraft flying within a sheared layer
intercepts individual KHI elements in different
stages of development.

3. Regular, comprehensive observations of CAT are
difficult to acquire because of its small scale and
intermittent nature.

4. Conditions conducive to the development of
CAT are rooted in larger-scale processes that
produce and perturb the extensive, sheared stable
layers.

Internal Gravity Waves and CAT

Internal gravity waves (IGW)with horizontal scales of
a few kilometers to a few hundred kilometers are also
mechanisms for CAT production. IGW may become
significant in the production of CAT in several ways.
Wave amplitude variations with height are caused by
the decrease in density with altitude and by the
variation of background stability and wind with
height. Aircraft intersecting large-amplitude IGW
may be exposed to ‘sharp-edged’ gusts or periodic
vertical motions which may be interpreted as CAT.
Vertical displacements due to gravity wave motions
will modulate background wind shear, leading to the
production of microscale KHI. Near or slightly below
the ‘critical layer’ (where phase speed and background
wind speed are the same),wave-breakingmayproduce
intense turbulence. Finally, the occurrence and inten-
sity of CATare also affected by the excitation of IGW
from different sources aswell as by resonant nonlinear
interactions between different IGW modes and be-
tween IGWand KHI in turbulent layers, can affect the
occurrence and intensity of CAT (see Dynamic Mete-
orology: Waves. Lee Waves and Mountain Waves.
Middle Atmosphere: Gravity Waves).
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Macroscale Forcing

Any atmospheric circulation system that produces
deformation and/or convergence in the flow field,
differential horizontal temperature advection, or sec-
ondary (vertical) circulations has the potential to
create and strengthen sloping stable layers and their
associated atmospheric stability and wind shear.
Because of thermal wind requirements, such layers
(also called baroclinic layers, or frontal zones) are
vertically sheared. Frontal zones are particularly
common with extratropical cyclones and associated
upper tropospheric jet streams, thus presenting opti-
mal conditions for development of KHI and CAT.
Additionally, developing extratropical cyclones and
jet streaks, as well as sharply curved anticyclonic
flows, are characterized by unbalanced (ageostrophic)
flow. Under these conditions, accelerations generate a
broad spectrum of not only IGW but also longer,
gravity-inertia waves which may also be effective in
producingCATbymodulating shallow shear layers, as
well as by their own instabilities. Because the jet
stream environment is optimum for the production of
sheared stable layers, about two-thirds of CAT occur-
rences are found near the jet stream. As a function of
height, CAT frequencies reach a maximum near the
tropopause, and in the baroclinic zone below the jet
core (Figure 1).

Macroscale flow patterns conducive to CAT are
shown schematically inFigure 2. They can be classified
into four basic types: (A) col pattern, (B) sharp trough,
(C) ridge, and (D) baroclinic instability. Based on
observational studies, flow conditions resulting in
anticyclonic shear or curvature (such as pattern (C),
Figure 2) produceCATmost frequently,while cyclonic
conditions (pattern (B), Figure 2) produce the most
intense CAT. While patterns (B) and (D) are both
associatedwith troughs, the orientation of the troughs
results in significant differences in the locations of
CAT and prevalent cloud conditions. A north-east to
south-west oriented trough axis (pattern (B)) results in
CAT to the rear of the upper trough in relatively cloud-
free conditions. A north-west to south-east trough
(pattern (D)), typically associated with cyclogenesis,
results in CAT in advance of the trough, often
embedded in thick cirrus clouds. As suggested by
Figure 2, sharply curved jet stream segments associ-
ated with upper-level troughs or ridges are typically
more turbulent than most zonal (predominately west-
to-east) jet streams.

Mesoscale Forcing

The processes by which gravity waves can produce
CAT have been studied extensively for a well-known
type of IGW known as a mountain lee wave (typical
wavelength:B10 km). Lee waves are generated when
stable airflow passes over a topographical barrier. In
most cases associated with strong turbulence, energy
from these waves is ‘trapped’ at or below a strong
temperature inversion near mountaintop level. On the
lee side of the ridge the airflow initially descends and
then rebounds to generate wave updrafts. As the flow
reaches its peak altitude and begins to descend again, a
wave crest is formed which may be made evident by
the formation of lenticular clouds. Under the crests of
strong waves, turbulent rotor circulations are often
found in lee wave systems. Occasionally, with large
mountain ranges, rotor-produced turbulence will
reach the altitude range of CAT.

In some situations, depending on the wavelength
and the distribution of wind velocity and temperature
with altitude, leewavesmay be vertically propagating,
such that the wave energy is transferred to great
heights to produce CAT by one or more of the
processes described earlier. Atmospheric conditions
usually associatedwith suchmountainwaves are: (1) a
high, cold tropopause, (2) a thermal inversion near the
mountain top, (3) low level winds 415m s�1 at
mountain top level, (4) weak positive vertical wind
shear, and (5) weak stability above the inversion.

The increase of leewave amplitudewith height leads
to greater vertical displacement and tilting of the
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stable layers, and often reduces the local Ri enough to
produce strong CAT. Furthermore, very strong wave
forcing occasionally produces a lee wave hydraulic
jump condition, resulting in a deep, extremely turbu-
lent layer in the lee of themountain, whichmay extend
from near the surface through the tropopause. An
example of an aircraft encounter with severe moun-
tain wave turbulence is shown in Figure 3.

In some cases, a large mountain range will give
rise to unusually long (wavelength B50 km), nearly
hydrostatic lee waves. When favorable atmospheric
wind and temperature profiles exist, shorter wave-
length perturbations induced by these waves may
destabilize, owing to partial reflection of lee wave
energy from levels near the tropopause. Aircraft flying
through such wave action may experience extreme
vertical gusts.

As described previously, cyclones, strong cold fron-
tal systems, and jet streams occurring overmidlatitude

mountainous areas provide conditions favorable for
the development of mountain lee waves. The enhance-
ment of CAT-producing mechanisms by mountain
waves accounts for the higher frequency of CATover
midlatitude mountains than elsewhere. However,
owing to the set of conditions required for breaking
lee waves mentioned earlier, mountain wave-related
CAT is not usually found beneath the jet stream core,
but mainly on the anticyclonic side.

Another phenomenon that may produce conditions
favorable for CAT is deep mesoscale convection. If
convective elements penetrate a capping stable layer
such as the tropopause, and the stable layer is sheared,
then KHI may result. Also, longer IGW may be
produced. If stability and wind conditions are favor-
able then the IGW will propagate to altitudes where
they may contribute to CAT.

In cases of exceptionally strong convection, tops of
thunderstorm cells penetrate the tropopause with

(A) (B)

(D)(C)

L

Figure 2 Idealized streamlines showing macroscale flow patterns that are most conducive to the occurrence of CAT. Hatched areas

show where CAT is most likely. Heavy arrows represent approximate jet stream locations. The patterns are defined as: (A) col or

deformation zone, (B) sharp trough, (C) ridge, and (D) baroclinic instability. With (D), the CAT would most likely occur in or near dense

cirrus clouds, since this is a favorable flowpattern for cyclogenesis. In day-to-day situations, there aremany possible hybrid combinations

of these patterns.
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vertical velocities as high as 20–30m s� 1. As a result,
IGW develop in the stable stratosphere and propagate
away from the thunderstorm, generating conditions
favorable to CAT production. If strong winds are
present, flow regimes similar to mountain lee waves
develop in the stratosphere, over and downwind of the
convection. Therefore, at tropopause levels, an air-
craft flying near thunderstorm tops is vulnerable not
only to turbulence produced within a thunderstorm
but also to CAToutside the thunderstorm. Figure 4 is a
record of vertical acceleration and altitude from a

commercial jetliner for a convectively forced CAT
encounter that resulted in injuries to passengers.

CAToccurrence near thunderstorms inmidlatitudes
occurs more often during spring and early summer in
late afternoon and evening. However, large mesoscale
convective systems (MCS) that form typically near
the axis of an upper level ridge at night tend to enhance
the strength of the jet stream on the poleward side of
the MCS. This often results in unstable flows which
generate a significant area of CAT downstream
that may continue for several hours after sunrise.
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Similar conditions may occur on the poleward side of
tropical cyclones as they encounter strongwesterlies in
the midlatitudes.

Climatology Studies

Some advances in our knowledge of the global
distribution of CAT along heavily traveled airways
have been derived from programs to collect pilot
reports (PIREPs), such as one conducted by the
International Civil Aviation Organization in the mid-
1960s. A more comprehensive global ‘climatology’ of
large-scale, upper-level conditions favorable for CAT
has been constructed by using a numerical model to
determine the distribution of a globally averaged CAT
index equal to the product of horizontal deformation
and vertical wind shear (described below, under ‘CAT
PredictionTechniques’). This approach describes CAT
produced by jet streams and upper fronts (e.g. cyclo-
genesis), but does not account formountainwaves and
convection. Based on long-term averages of model
output, regions of relatively high CAT risk have been
identified, including central and eastern Asia, the
southern United States, North Africa, and southern
Australia and New Zealand (Figure 5). The seasonal
variation of the mean CAT index shows that the zone

of maximum CAT occurrence tends to weaken and
shift poleward during the warm season in each
hemisphere, as one would expect. Large year-to-year
changes have also been observed in these data, that are
likely related to the El Niño Southern Oscillation
(ENSO) phenomenon. During strong El Niño condi-
tions, the subtropical jet stream in the Northern
Hemisphere is typically much stronger than normal,
resulting in a higher potential for CAToccurrence.

Observation of CAT

Observations of CATare critical for research, diagno-
sis, and prognosis of CAT. However, adequate resolu-
tion of CAT requires microscale measurements. Such
measurements are not regularly available via the
standard surface and upper-air weather observation
networks. Occasionally, instrumented and radar-
tracked balloons have been used for turbulence
measurements, but aircraft have been the most
frequent platforms of choice for the direct measure-
ment of CAT.

Aircraft Measurements

Subjective PIREPs include a description of CAT inten-
sity, aircraft position and altitude, and appropriate

Figure 5 Globalmean turbulence index for the wintermonths (December through February in Northern Hemisphere, and June through

August in the SouthernHemisphere) showing relative occurrence of CAT at approximately 9.5 to 10.8 km (30000 to 34000 ft), based on 9

years of data for theNorthernHemisphere, and2 years for theSouthernHemisphere. The indexwas derived from theNationalCenters for

Environmental Prediction Aviation Model at 0000UTC daily. Turbulence areas are likely to be underestimated, since the index does not

account for mountain waves or deep convection.
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remarks. Reports of turbulence intensity for
most aircraft are based on the pilot’s estimate of
flight control difficulty, of the movement of objects
within the aircraft, or readings from available
instrumentation, for example, airspeed fluctuations,
rate of climb in otherwise level flight, and g-meter
excursions. Bias is frequently introduced in these
reports as a function of aircraft type, suddenness of
onset, and pilot experience, among several factors.
Despite these problems, pilot reports of turbulence
are an important day-to-day source of direct CAT
measurements.

Improvements in instrumentation and communica-
tions havemade it possible for automated pilot reports
from some commercial airliners to be acquired very
quickly by international aviation weather forecast
centers, increasing the timeliness and volume of CAT
reports.

Some aeronautical and atmospheric research
aircraft are equipped to directly measure true
turbulence gust velocities with high accuracy and
sample rates (e.g., about 0.3m s� 1 and 50 samples per
second, respectively). These measurements require
specially calibrated sensors, high-capacity data re-
cording systems and judicious, post-flight engineering
analysis.

Most commercial airliners carry onboard inertial
navigation and digital recording systems that are
capable of sampling vertical and horizontal accelera-
tions plus several other parameters including aircraft
attitude, engine status, position, and altitude. Such
onboard measurement systems provide information
for research into the nature and impact of CAT; also,
they have laid the foundation for the development of
onboard turbulence metrics that lend themselves to
automated and standardized CATreporting, minimiz-
ing the bias of subjective CAT reports. Two metrics
which suit these requirements are the turbulent kinetic
energy (TKE) dissipation rate and the integrated TKE.
The latter metric is derived from that part of the TKE
spectrumwhere aircraft have the greatest sensitivity to
turbulence.

Beyond using an aircraft as a platform for instru-
ments to measure CAT directly, an ideal airborne
CAT detection system should be able to detect
the location and intensity of CAT far enough ahead
of the aircraft so that the pilot has sufficient time to
take evasive flight path deviations and/or to
warn cabin crew and passengers to fasten seatbelts
to minimize the effects of the turbulence. Al-
though airborne remote sensing of CAT can be
achieved partially with forward-looking infrared
radiometers and lidars, the best approach may
be the integration of data from multiple detection
systems.

Ground-Based Measurements

Although lacking the mobility and limited in number,
ground-based systems have generally had the advan-
tage over airborne systems in size, power, and data
processing capability to enable the sensing of turbu-
lence and turbulence-related parameters at greater
ranges.

Ground-tracked sounding balloon systems, such as
radiosondes, are used ordinarily for the determination
of indirect turbulence indicators such as stability,wind
velocity, wind shear, and Ri. An ongoing problem
with the twice-daily (0000UTCand1200UTC) radio-
sonde observations is the poor detection of thin,
potentially turbulent layers,whichmay vary rapidly in
time and space. A few specialized sounding balloon
systems, such as those used for the support of the
launch of space vehicles (e.g., radar tracking of the
rigid, Jimsphere balloons at Cape Canaveral), are
capable of resolving layers of 50m or less. Some
studies have used balloon rate-of-rise fluctuations to
find a direct correlation between large-amplitude IGW
vertical motions and turbulence in CAT regions.

Sensitive, vertically pointing, scanning Doppler
radars, known as wind profilers, are used to acquire
time sequences of wind speed and direction as a
function of altitude. VHFwind profilers are capable of
making a complete sounding about every 6minutes
with samples at 250m intervals over an altitude range
of 2 to 16 km above ground level (AGL). Typically
averaged over a period of an hour to eliminate noise,
profiler data are most useful for determining the
altitude, intensity, and temporal behavior of larger
scale features associated with CAT, such as shear
zones, trough lines, and jet streams.

Very powerful ground-based research radars are
capable of detecting clear air echoes associated with
KHI. Modern Doppler weather radar systems (e.g.,
the National Weather Service (NWS) Weather Sur-
veillance Radar–1988 Doppler (WSR-88D)) in the
United States can measure turbulence in clear air,
based on the ‘spread’ of the velocity distribution,
although that capability is generally limited to the
boundary layer. However, most operational Doppler
radar systems may also be used to determine higher-
altitude wind information similar to that from wind
profilers.

Ground-based research lidar has been used to
accurately measure wind profiles and observe violent
wave-breaking episodes at jet stream altitudes. How-
ever, such observations cannot be acquired under all
sky conditions; this is because the air at the turbulence
locationsmust have enough particles to reflect some of
the lidar energy, and the intervening path between the
lidar and the turbulence must not have so many
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particulates or droplets that these would block the
lidar beam or its return signal.

Remote Sensing from Space

The advent of the geostationary meteorological satel-
lites in the latter half of the twentieth century provided
an additional tool for monitoring regions of potential
turbulence. Although pixel resolutions are only mar-
ginal for this purpose (1–5 km), the image frequency
(15min–1 h) and spatial coverage (global except near
the poles) of geostationary satellites can be useful,
when combined with other data, for the detection and
short-range forecasting of CAT. The spectral bands
that have been found most useful for CAT detection
are visible, infrared (IR), andwater vapor, described in
Table 1. Specific applications of these images will be
described in more detail in the next section. Cloud
motion vectors derived from a sequence of geosta-
tionary satellite images can provide valuable data over
remote regions for assimilation into numerical predic-
tion models.

Visible and IR images from polar orbiting satellites
are available less frequently (every 2–6 h, depending
on latitude), but can be used to identify CAT patterns
associated with long-lasting, large-scale systems, and
to corroborate features observed in geostationary
satellite data. They are especially useful at high
latitudes where geostationary coverage is poor be-
cause of extreme parallax.

Analysis of satellite imagery, compared with colo-
cated PIREPs, indicates that CAT is found not only in
clear air but also in cirrus clouds, and along borders of
large-scale cloud systems. Zones of turbulence asso-
ciated with the subtropical jet stream are often

denoted by pronounced cirrus cloud bands that are
oriented nearly perpendicular (transverse) to the flow,
possibly caused by inertial instability. An example of
this cloud feature is shown by the IR image in Figure 6.
Wider, thicker transverse cloud bands have been
associated with a strong likelihood of moderate to
severe CAT.

Pronounced warming observed over a period of a
few hours in a series of water vapor images has been
associated with strong subsidence and tropopause
‘folds’ in the vicinity of upper-level fronts, and a
corresponding increase in the risk of CAT. These
regions are usually associated with deformation zones
(pattern (A), Figure 2), sharp upper troughs (pattern
(B)), or in the ‘dry slot’ portion of intensifying cyclones
(pattern (D)). These synoptic patterns also correlate
with high concentrations of stratospheric ozone and
large values of potential vorticity.

Satellite images in several spectral bands (visible, IR,
and water vapor) may also show classic ‘washboard’
cloud patterns associated with mountain waves
(Figure 7). The water vapor images often depict a
greater area coverage of mountain wave conditions
than either visible or IR, owing to their greater
sensitivity to moisture. Warm subsidence zones ori-
ented along and just downstream from the mountain
ridges and slightly upstream from the lee cirrus plume,
sometimes referred to as ‘Föhn gaps’, are indicative of
possible intense turbulence.

High-resolution visible imagery (0.5–1mm) can
sometimes detect very small-scale (r1 km wave-
length) wave cloud patterns (referred to as billows)
that correspond to areas of KHI. Billow clouds are
embedded typically within or near large-scale cloud
systems, or in the vicinity of convective storms when
wind shears are present.

CAT Prediction Techniques

As illustrated in Figure 2, certain synoptic-scale upper
flow patterns have been empirically related to CAT
occurrence through many years of operational expe-
rience. By applying these pattern types to predicted
flow patterns from numerical forecast models, esti-
mates can be made of the likelihood of CAT in certain
regions for longer forecast time periods.

Objective prediction of CAT has become more
commonplace and accurate, owing to increased com-
puting speed, diminished cost of high-speed compu-
ters, improved numerical model physics, and better
techniques for assimilation of wind and temperature
data from aircraft and satellites. A number of
diagnostic and predictive indices for CAT have
been developed and used over the years. The non-

Table 1 Spectral channels used in detecting CAT-related phe-

nomena from space

Channel type Spectral range

(mm)

Applications

Visible 0.5–1.0 Small scale (r1 km)

wave clouds

Infrared (IR) 10–12 Cloud top

temperatures

(heights), large-

scale cloud

borders, cloud

bands

Water vapor 6–7 Regions of sinking/

rising associated

with mountain

waves, upper

level fronts,

deformation

zones, and

cyclones
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dimensional Richardson number (Ri) (see eqn [1]) is
adequate inmany situations, although it often exhibits
a much wider range of critical values in the free
atmosphere than in the laboratory. Ri is most reliable
when generated from high resolution observational
data, therefore it is principally used as a diagnostic
tool. Richardson number is defined as:

Ri ¼ ðg=yÞðqy=qzÞ
ðqV=qzÞ2 ½1�

where y is potential temperature (K), V the vector
horizontal wind (m s� 1), g acceleration of gravity
(m s� 2), and z is height (m).

A more successful index for CAT prediction em-
ploys the Richardson number tendency equation.

Significant, prolonged turbulence is most likely in
regions of the atmospherewhere larger-scale processes
are continually acting to decrease Ri, despite the
influence of turbulent mixing. The primary processes
include: horizontal deformation, convergence, and
differential thermal advection. Specifically, the Ri
tendency technique calculates the large-scale forcing
necessary to overcome the kinetic energy dissipation
resulting from the turbulence process in order to
maintain theRi at values� 1

4. A simple formulation of
Richardson number tendency equation is

d ln ðRiÞ
dt

¼ �F� e ½2�

where F is nonturbulent, large-scale forcing by defor-
mation, and e is turbulent dissipation.

Figure 7 Mountain wave patterns east of the RockyMountains observed byGOES-8 in the (A) water vapor, (B) infrared, and (C) visible

band at 1915UTCon 5April 2000. Considerable severe turbulencewas reported below 6.4 km (20000 ft). Thewater vapor image depicts

moreextensive coverageofmountainwaves than theother two images.Cirrus plumesobserved in upper left are indicative of high-altitude

mountain waves downwind of the Salt River and Wind River ranges in Wyoming.

Figure 6 Infrared image from the geostationary operational environmental satellite GOES-8 at 0045 UTC on 3 March 2000, showing

transverse cirrus cloud bands on the Equatorward side of the subtropical jet stream near the Leeward Islands. Moderate to severe

turbulencewas reportedbyaB767aircraft at the locationshown.Windbarbsare from radiosondesites for 250hPaat 0000UTC,or aircraft

reports for 8.9 to 11.8 km (28000 ft to 37 000 ft) between 0000 and 0300UTC.
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A similar approach can generate a diagnostic or
predictive index by simply calculating the product of
horizontal, resultant deformation and the vertical
vector wind shear at each grid point. The basis of this
index is similar to Ri tendency in that it considers
large-scale forcing from frontogenesis, in addition to
the presence of vertical shear in the mesoscale. One
difficulty with this approach is that deformation can
also lead to frontolysis in some cases, which tends to
reduce vertical shear. This turbulence index (TI) is
defined as

TI ¼ ½ðqu=qx� qv=qyÞ2 þ ðqv=qxþ qu=qyÞ2�1=2
Resultant deformation

� qV=qz
Vertical shear

½3�

where u and v are wind components (m s�1), V the
vector wind, and z height (m).

The turbulent kinetic energy (TKE) technique for
the prediction of CAT attempts to show areas of
turbulence generation through the processes of pro-
duction by vertical shear, production or destruction by
buoyancy, energy advection, and loss via dissipation.
The simplified TKE equation can be expressed as:

d ðTKEÞ
dt

Energy production

¼�u0w0 qu
qz

� v0w0 qv
qz

Shear production

þ w0y
g

y
Buoyancy

þ A
Advection

� e
Energy dissipation ½4�

TKE ¼ ðu02 þ v02 þw02Þ=2, or total kinetic energy per
unit mass, where the terms u0, v0, and w0 are pertur-
bation (gust) velocities. The TKE approach can
account for turbulence from a wide variety of mech-
anisms such as convection and mountain waves, as
well as jet stream CAT, and provides a direct estimate
of possible turbulence intensity through the energy
dissipation rate.WhileTKEpresents themost rigorous
depiction of turbulent processes of all the objective
approaches, it is more effective when numerical
models have very high vertical (B100m) and hori-
zontal resolution (B10 km). In solving eqn [4] using
such high-resolution models, the need for accurate
observations is critical, and the best analysis and
prediction results are attained in regions of dense
reporting networks that incorporate aircraft data,
chiefly over continental areas.

The indices described above do a reasonably good
job of predicting large outbreaks of CAT, but tend to
predict CATover a region that is larger than the area of
actual occurrence (also known as ‘over-forecasting’).
Their inadequacies are due largely to the following
factors: (1) they only account for large scale conditions
favorable for CAT, (2) they do not consider triggering

mechanisms, and (3) most numerical models cannot
accurately account for the intense, subgrid-scale
vertical shears and strong horizontal forcing present
during severe CAT.More specifically, model problems
are due to resolution limitations and systematic under-
forecasting of maximum wind speeds within the jet
stream.

Statistical Approaches

Because of the sporadic, microscale nature of CAT, it
would seem that statistical approaches would be
useful for forecasting its occurrence. The first such
efforts were completed in the United Kingdom in the
late 1970s. Turbulence data from about 4500 aircraft
reports, compared with eleven colocated numerical
parameters derived from a coarse-resolution predic-
tion model, revealed that the best correlation was
between CATand vertical and horizontal wind shears.
Similar studies were completed in the United States in
the 1980s using higher-resolution numerical model
data that showed CAT to be highly correlated with
horizontal deformation and scalar wind speed.

A technique that statistically integrates information
from many numerical turbulence indices, known as
the integrated turbulence forecast algorithm (ITFA),
was developed in the late 1990s. ITFA first assigns a
score to each diagnostic index, based on comparison
with available observations at the initial time period
throughout the numerical grid domain. A weighted
sum is then determined from all of the indices to arrive
at a final ITFA index value at each grid point. The same
weights are then assigned to each index in deriving
predictions for each forecast time period. This process
is repeated with every forecast cycle.

Although useful, statistical approaches to CAT
prediction are not always able to correctly depict
turbulence events accurately because of limitations in
climatological or regionally derived thresholds.

See also

Aviation Weather Hazards. Convective Storms:
Convective Initiation. Dynamic Meteorology: Waves.
Frontogenesis. Instability: Inertial Instability. Jet
Streaks. Kelvin–Helmholtz Instability. Lee Waves
and Mountain Waves. Satellite Remote Sensing:
Temperature Soundings; Wind, Middle Atmosphere. Tur-
bulence and Mixing. Turbulence, Two Dimensional.
Turbulent Diffusion.
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Introduction

Climate is the composite or generalization of weather
conditions of a region as a function of season. It can be
expressed in terms of the expected values of meteor-
ological variables such as temperature, precipitation,
pressure, humidity, cloudiness, sunshine, and winds.
The expected values are usually obtained by averaging
observations over a number of years. A complete
description of the climate would also include infor-
mation on the year-to-year variability of averages over
shorter time intervals such as months. Climatology is
the scientific study of climate. A complete understand-
ing of climate requires a thorough understanding of
the atmosphere and its physical and chemical interac-
tionswith the ocean and the land surface. Life forms in
the ocean and on the land influence the composition of
the air, the color of the ocean, and the exchange of
energy and moisture between the land surface and the
atmosphere.

Climate is important for humanity and life onEarth,
since it has set the context for human evolution and
subsequent social, political, and historical develop-
ments. In the modern world it influences agriculture,
water resources, human health, and energy use. It
continues to play an important role in natural ecology
and the interaction of human endeavor with the

Earth’s biological and geochemical resources. Because
of the large human population of the Earth and the
adoption of technology by societies, humans nowhave
the ability to make relatively rapid changes in the
Earth’s global climate.

Description of Climate

The average surface temperature of the Earth is about
288K or 151C. The global average precipitation is
about 1meter per year. The climate of a given location
varies with latitude, altitude, and geographical condi-
tions (Figure 1). Seasonal variations are greater in
higher latitudes and in continental rather than mari-
time areas (Figure 2). Oceans have a large capacity to
store heat, so that seasonal variations in surface
temperature are tempered by heat exchange with the
ocean.

The distribution of precipitation is more complex.
Precipitation is greatest near the Equator, is reduced in
subtropical latitudes (15–30 degrees), and increases
again in middle latitudes (Figure 3). The rainfall
maximum near the Equator is associated with the
general convergence of wind at low levels and the high
water vapor content of tropical air. This precipitation
maximum moves north and south across the Equator
following the position of the Sun relative to the
Equator. The very low precipitation values that occur
in the tropics are associated with downward motion
and divergence of the surface winds. Precipitation
maxima occur in midlatitudes where cyclonic storms
are frequent and produce heavy rainfall. Two rela-
tively strong precipitation maxima in the Northern
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Hemisphere are associated with the storm tracks over
the western Pacific and Atlantic Oceans.

Annual variations of temperature and precipitation
vary greatly with location. In the tropics, temperature
variations are usually modest, but precipitation can
vary from complete drought in some seasons to
torrential rains in another. Land areas that are
downwind of large water masses generally have
smaller seasonal temperature variations than loca-
tions in the center of large continents. Good examples
of maritime and continental climates are given by
Seattle andMinneapolis (Figure 4):Minneapolis has a

much larger seasonal variation of temperature. The
variations of precipitation in these two regions are also
very different. Seattle has a wintertime precipitation
maximum associated with the midlatitude storm
activity. Minneapolis has a summertime rainfall max-
imum that comes largely from thunderstorms. The
annual temperature variation of New York City is
influenced by the large continent upwind to the west,
and so is quite large. New York gets both wintertime
storm precipitation and summertime convective pre-
cipitation, so that monthly precipitation is more
nearly evenly spread over the year. The annual total
precipitation in New York City (120 cm) is greater
than that of Seattle (95 cm).

Global Energy Balance

The mean temperature at the surface of the Earth is
determined by the flow of energy through the climate
system, which consists of the atmosphere, ocean, and
land surface. The source of energy for the planet is
radiation emitted by the Sun; although the Earth has
an internal energy source from radioactive decay, this
source is too small to influence the globalmean surface
temperature. At the average position of the Earth
in its orbit about the Sun, the Sun provides about
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1367Wm�2 of total solar irradiance; the solar irra-
diance varies as the inverse square of the distance from
the Sun. Because Earth is approximately spherical in
shape, the ratio of its area to its surface shadow area is
4. So to get the solar energy available per unit of
surface area, the total solar irradiance must be divided
by four, yielding about 342Wm�2, or the energy
equivalent of about 3.4 100-watt light bulbs for each
square meter of the Earth. Averaged over the whole
Earth, about 70%of this flux is absorbed by Earth and
about 30% is reflected back to space without heating
the Earth. The fraction that is reflected is called the
albedo, from a Greek word meaning whiteness.
The energy that is absorbed is converted into heat
and later emitted back to space as thermal infrared
radiation.

The simplestmodel for the globalmean temperature
T of the Earth equates the absorbed solar radiation
with the emitted terrestrial radiation, assuming that
the Earth emits like a black body (eqn [1]).

S

4
ð1� aÞ ¼ sT4 ½1�

In eqn [1] S is the total solar irradiance, a is the albedo,
and s ¼ 5:67�10�8 Wm�2 K�4 is the Stefan–

Boltzmann black body emission constant. If this
equation is solved for the blackbody emission temper-
ature of Earth, a value of about 255K, or �181C, is
obtained, which is much less than the global mean
surface temperature of 288K, or 151C. The emission
temperature of the Earth is equal to the average
temperature of the atmosphere about 5 km above the
surface, and indeed, most of the energy that the Earth
emits to space is emitted from the atmosphere, rather
than the surface.

A diagram showing the energy flow through the
global climate system is given in Figure 5. Although
nearly half of the solar energy that enters the climate
system is absorbed at the surface, very little of the
infrared radiation emitted from the Earth’s surface
escapes directly to space. The atmosphere absorbs
most of the infrared radiation emitted from the
surface, primarily through water vapor, clouds, and
carbon dioxide gas. Moreover, the atmosphere emits
infrared radiation downward toward the surface, and
the energy supplied to the surface by this downward
infrared flux is nearly twice as great as the amount of
energy supplied to the surface from the Sun. The
transparency of the atmosphere to solar radiation
combined with the opaqueness of the atmosphere to
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infrared radiation results in a heating effect that raises
the surface temperature above the value that it would
have in the absence of the atmosphere. This is often
called the atmospheric greenhouse effect. The green-
house effect also reduces the amplitude of the diurnal
cycle in surface temperature, the daily variation of
temperature associated with the rising and setting of
the Sun. Because the downward long-wave emission
from the atmosphere continues after the Sun sets, the
fall of temperature after sunset is much less than it
would be in the absence of the atmosphere. At high
altitudes the daily variation of temperature is greater
because the mass of atmosphere above the surface is
less and the greenhouse effect is therefore reduced.
Because water vapor is the principal greenhouse gas,
the strength of the greenhouse effect increases with
temperature and relative humidity.

A net radiative input heats the surface of the Earth,
and the net effect of radiation on the atmosphere is to
cool it at the rate of about 1.51C day�1. Heat is
transferred from the surface to the atmosphere by
atmospheric motions that carry heat and moisture
upward. The release of latent heat of vaporization
stored in water vapor during condensation is the
largest heating term in the atmosphere and offsets
atmospheric cooling by radiation emission. The global

mean precipitation rate of 1 meter per year corre-
sponds to an atmospheric heat input of 80Wm�2.

Continuous heating of the surface and cooling of the
atmosphere by radiative processes drives convective
instability and the hydrological cycle within the
Earth’s climate system. Evaporation is greater than
precipitation over the world’s oceans. The excess
water is transported to the land areas, where the
average precipitation exceeds the evaporation. The
excess of precipitation over evaporation in land areas
returns to the oceans as runoff in rivers (Figure 6). The
supply of water from the ocean supports life on the
land, and the return of minerals and other elements of
life to the ocean in rivers supports life in the ocean. The
hydrological cycle is also a key element of the chemical
and biological cycling of carbon through the Earth
system that regulates atmospheric carbon dioxide on
time scales of millennia and longer.

Seasonal and Latitudinal Insolation
Variations

The seasonal and latitudinal distribution of insolation
is an important determinant of climate. The instanta-
neous insolation per unit of surface area is given by the
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total solar irradiance times the cosine of the solar
zenith angle, the angle between local vertical and the
Sun. The daily average insolation available at the top
of the atmosphere is given as a function of latitude and
season in Figure 7. The insolation decreases with
increasing latitude, except in summer, and the annual
variation of insolation is greatest near the poles, where
six months of darkness alternate with six months of
daylight. In polar regions during summer, the available
insolation is greater than that at the Equator, because,
although the Sun is near the horizon, it shines 24 hours
a day at the poles during the summer half-year. The
insolation available during Southern Hemisphere
summer is about 7%greater than that available during
Northern Hemisphere summer, because the Earth’s
orbit is not perfectly circular and at the present time
the Earth is closer to the Sun during Southern
Hemisphere summer.

On time scales of millennia, the distribution of
insolation with latitude and season changes as the
parameters of the Earth’s orbit vary in response to
dynamical interactions with the orbits of other plan-
ets. The tilt of the axis of rotation with respect to the
plane of the Earth’s orbit varieswith a period of 41 000
years. In the last few million years the tilt angle, or
obliquity, has varied between 22 and 24.5 degrees. It is
currently 23.45 degrees. The eccentricity or degree to
which the Earth’s orbit differs from a perfect circle
varies with periods of 100 000 years and 400 000
years. The season when the Earth makes its closest
approach to the Sun, the perihelion of the orbit, varies
with periods near 20 000 years.

Transport of Energy and the
Circulation of the Atmosphere and
Ocean

Much more solar energy is available to heat tropical
latitudes than high latitudes. In the annual average, net
radiative energy is input into tropical latitudes and
high latitudes lose energy (Figure 8). The heating of the
tropics and cooling of the polar regions drives circu-
lations in the atmosphere and ocean that transport
heat from tropical to polar regions. The ocean and the
atmosphere have similarly important roles in pole-
ward transport, with the ocean transport larger in
subtropical latitudes (201N and 201 S) and the atmos-
phere dominating at middle and high latitudes (501N
and 501 S). Transport in the atmosphere comprises
latent, thermal, and potential energy transports. In
tropical latitudes, upward motion near the Equator
and downward motion in subtropical latitudes are
critical features of the atmospheric circulation. At low
levels this requires equatorward winds that are turned
westward by the Earth’s rotation to form the
Trade Winds. At upper levels the poleward flow is
turned eastward by the Earth’s rotation to form the
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subtropical jet stream, which is a band of high winds
around 30 degrees north and south at around 12km
altitude. The general rising near the Equator and
sinking in the subtropical latitudes of the winter
hemisphere is called the Hadley circulation, after a
seventeenth-century meteorologist. The Hadley circu-
lation extends only to about 30 degrees of latitude.
Beyond that the circulation becomes unstable and
breaks down into eddies. These eddies are very
efficient at transporting energy poleward, and in
middle latitudes the poleward transport of heat is
accomplishedmostly by atmospheric eddies or storms.
The structure of these storms is such thatwarm, humid
parcels of air move poleward and cold, dry parcels of
air move toward the Equator. Storms thus result in a
net transport of heat and moisture toward the poles.
Because warm, humid parcels within these storms are
pushed upward as they are pushed poleward, midlat-
itude storms also produce heavy precipitation.

Poleward movement of warm water parcels and
equatorwardmovement of cold water parcels produc-
es poleward heat transport in the ocean. The most
visible examples of this are the warm western bound-
ary currents of the Atlantic and Pacific oceans – the
Gulf Stream and the Kuroshio Current. These are
narrow streams of warm water that flow poleward at
the western margins of the oceans. The Gulf Stream
can carry warm, salty water all the way from the
tropics to the vicinity of Northern Norway. These
currents account for the relative warmth of the oceans

in middle latitudes and have a significant influence on
the downstream climate. Because of the narrowness
and far northward extent of the Atlantic Ocean, the
Gulf Stream has a dramatic effect on the climate of
Europe.

The western boundary currents are generally shal-
low surface currents. In the North Atlantic Ocean
warm, salty water travels very far north, where it is
cooledwithout substantial dilution of the salt content.
Because the density of sea water depends mostly on
salinity near the freezing point, the cooledGulf Stream
water becomes some of the densest water in the ocean
and sinks to near the bottom. It then returns equator-
ward and may travel as far as the North Pacific before
it rises to the surface again. The density-driven
circulation of the deep ocean is called the thermo-
haline circulation. The formation of deep water in the
NorthAtlanticOcean creates a convergence of surface
water, which allows more warmwater to flow in from
the south and heat the high-latitude regions near
the North Atlantic. Deep water is not formed in the
North Pacific because the Pacific is not as salty as the
Atlantic. The salinity of the oceans differs because
the atmospheric circulation carries fresh water from
the Atlantic basin to the Pacific. Major variations in
the intensity of the thermohaline circulation in
theNorth Atlantic are known to have occurred during
ice ages. Evidence from Greenland ice cores suggests
that the formation of deep water has switched on and
off on time scales of centuries or less during glacial
periods.

Topographic Effects

Air pressure and density decrease rapidly with alti-
tude. The air pressure at 5 km above sea level is only
half that at the surface. The air temperature at 5 km
above the surface of the ocean is about 301C colder
than the ocean surface. When the land extends higher
into the atmosphere, the surface pressure and temper-
ature both decrease. If the land is heated by the Sun, it
will be warmer than the air at the same pressure that is
not in contact with the land. This results in the
generation of buoyancy of the air in contact with the
land, which may cause it to rise. A dramatic example
of this is the seasonal variation in winds and precip-
itation over southern Asia. When the Sun heats the
Himalayas during Northern Hemisphere summer, air
at low levels is drawn toward theHimalayas, resulting
in heavy precipitation in the mountains and the
adjoining lowlands. During winter the situation is
reversed and air flows from the continent toward the
ocean. During the Northern Hemisphere winter,
precipitation near the Himalayas is reduced and
precipitation over the equatorial Indian Ocean is
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increased. This seasonal reversal in winds and associ-
ated precipitation changes is called the Asian Mon-
soon. A muted form of the same seasonal variation
occurs over the tropical and subtropical Americas.

When air approaches a topographic obstruction and
is forced to pass over it, much of themoisture in the air
is condensed out on the windward side of the topog-
raphy, and the leeward side can be quite arid if it is
consistently blocked from maritime sources of water
vapor. TheCascade and SierraNevadaMountains, for
example, block the flow of moisture from the Pacific
Ocean to the Great Basin between the coastal moun-
tains and the Rocky Mountains farther inland. The
Himalayas prevent moisture from the Indian Ocean
from reaching central Asia.

Topographic barriers also divert the flow of air by
generating waves in the atmosphere. During winter
the mountains of western North American generate a
stationary upstream high-pressure system and down-
stream low-pressure system. This is associated with
equatorward flow on the lee of the RockyMountains,
which makes the center of North America colder than
it would be in the absence of topography.

Climate Variability and Change

It is known that the climate of the Earth has
varied greatly in the past. During the Cretaceous
Period 65–135 million years ago, the climate
was much warmer. Tropical plants and dinosaurs
ranged far north above the Arctic Circle. On these
long time scales continental drift has altered the
arrangement of the continents, which influences
the climate. It is likely that concentrations of atmos-
pheric greenhouse gases such as carbon dioxide or
methane were much higher during the Cretaceous
Period. Changes in atmospheric greenhouse gas con-
centrations equivalent to a factor of 5 or 10 increase in
carbon dioxide seem to be required to explain the
similarity of tropical and polar surface temperatures
during the Cretaceous.

Twenty thousand years agomuch ofNorth America
and Europe was covered with sheets of ice several
kilometers thick, and a similar glacial age occurred
about 140 000 years ago. Recent variations in climate
such as the succession of ice ages over the last several
million years appear to have been triggered by changes
in the Earth’s orbital parameters. A large tilt of the
Earth’s axis of rotation relative to the plane of the
Earth’s orbit about the Sun favors an interglacial
climate, because summertime and annual mean inso-
lation in high latitudes increase with larger tilt. When
Northern Hemisphere summer solstice occurs when
the Earth is closest to the Sun, this also acts to reduce

the ice piled on the northern continents and leads to
interglacial climatic conditions.

The effect of insolation variations is amplified by ice
albedo feedback and biogeochemical feedbacks
affecting the concentration of carbon dioxide and
other greenhouse gases in the atmosphere. As the
Earth cools, more of the surface of the Earth is covered
with ice. Because ice has a higher albedo than other
surfaces, this leads to less solar absorption by the
planet and further cooling. The carbon cycle feed-
backs are less well known, but changes in the ocean
circulation and changes in the supply of tracemetals to
the ocean have been suggested as means of coupling
decreased temperature to decreased carbon dioxide.
On time scales of thousands of years, the atmospheric
carbon dioxide concentration is tied closely to the
carbon dioxide in the ocean. In the surface of the
oceans, carbon dioxide is removed by photosynthetic
life. Photosynthetic life in the oceans is limited by the
amount of nutrients and trace metals that are present
in the illuminated zone near the surface. Ice ages are
known to be dustier than interglacial epochs like the
current one. During ice ages stronger winds mix the
oceanmore effectively and can bringmore nutrients to
the surface from depth. Stronger winds also loft more
continental dust containing tracemetals and carry it to
regions of the ocean far removed from continents
where trace metals required for photosynthesis would
otherwise be lacking.

Climate also experiences significant year-to-year
and decadal variations that result from the natural
internal variability of the climate. The El Niño–
Southern Oscillation (ENSO) phenomenon is a cou-
pled ocean–atmosphere mode of variability with a
time scale from 2 to 7 years that is centered in the
equatorial Pacific. During ENSO warm events, the
equatorial sea surface temperature in the east Pacific
rises several degrees above normal and convection that
is normally present in the far west Pacific may extend
all the way to coastal South America. The rainfall that
normally occurs in the western equatorial Pacific and
Indonesia follows the warm water eastward into the
central Pacific. The movement of the localized con-
vective heating in the atmosphere drives atmospheric
waves that may influence weather in middle latitudes.
ENSO variability may be coupled to longer-term
variability in the North Pacific Ocean. Year-to-year
variations in surface temperature may be caused by
explosive volcanic eruptions that inject large amounts
of sulfur-bearing gases into the stratosphere, where
fine aerosol particles of sulfuric acid can reflect
sunlight.

Decadal variations of climate have been observed,
which seem to be related to interactions between
atmosphere and ocean. Weather anomalies during
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winter inmiddle latitudes can drive thermal anomalies
in the oceanic mixed layer and thermocline structure
which are then sealed under a shallow, warm oceanic
mixed layer during the following summer. With the
onset of surface cooling and turbulent mixing the
following winter, these thermal anomalies can be
uncovered and influence the climate, thus giving
climate anomalies a year-to-year persistence in middle
latitudes. Ocean current circulations in middle lati-
tudes can also transport these anomalies from place to
place.

Human-Induced Climate Change

The concentrations of atmospheric greenhouse gases
and aerosol particles in the atmosphere have been
changing over time in response to human activities.
From ice bubbles trapped in ice cores and other
evidence we know that the concentration of carbon
dioxide just prior to the Industrial Revolution was
about 275 ppmv. The concentration has increased at a
rate of about 0.5% per year, so that the difference
between the preindustrial value and the current value
is nearly as large as the differences between preindus-
trial and ice age conditions (Figure 9). Recent changes
in carbon dioxide concentration are known to be
related to fossil fuel use by humans, because the
isotopic composition of carbon derived from fossil
fuels such as coal, oil, and natural gas is different from
carbon that has not been stored in sediments for
thousands of years.

Because carbon dioxide is an important greenhouse
gas, its increase can lead to increases in global mean
surface temperature. In addition to carbon dioxide,
the concentrations of nitrous oxide, methane, and
some industrially created greenhouse gases are also
increasing in the atmosphere. The effects of these and
projected future changes can be studied with global
climate models. The known physics of the climate
system can be incorporated into these computer
models. Because of the wide range of spatial and
temporal scales in the climate system, current limita-
tions on computer power, and some gaps in our
understanding of the climate system, these projections
remain somewhat uncertain. Key feedback processes
such as the cloud formation need to be treated with
very approximate methods. None the less, the basic
physics of the greenhouse effect can be calculated
precisely and scientists believe that human-induced
changes in atmospheric composition have caused
muchof the recentwarmingof the surface temperature
of the Earth. Many of the warmest years in the global
temperature record have occurred in the last two
decades (Figure 10).

Changes in the Earth’s climate will occur in the
future as a result of human activities. Because of the
large heat capacity of the oceans, the warming
resulting from greenhouse gases lags several decades
behind the greenhouse gas changes. It is estimated that
about another 0.51C of warming should result from
changes in the composition of the atmosphere that
humans have already caused, and humanmodification
of the atmosphere is continuing at an increasing rate.
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Introduction

Attempts at climate prediction span more than a
century and a renewed interest has developed since the
early 1980s. On theoretical grounds it has been
suggested that prospects for the prediction of annual
variability should be better for the lower than the
higher latitudes. Method development has been
directed at a wide variety of regional targets, as

illustrated in Figure 1. From experience it seems more
fruitful to pursue empirical and numerical modeling
approaches concurrently. A ‘code of good conduct’
requires documentation of the method, assessment of
method performance on an independent data set, and
regular verification of real-time forecasts.

Methods

In the endeavors at climate prediction over the past
two decades, three broad categories of approaches can
be recognized: (1) empirical methods based on the
combination of general circulation diagnostics and
statistical techniques; (2) numerical modeling; and (3)
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Figure1 Orientationmap showing location of forecasting targets referred to in this review: India, easternAfrica, southern Africa, Sahel,

Northeast Brazil (Nordeste), North Atlantic storms, El Niño and Southern Oscillation, Australia, North America, Europe.
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empirical but purely statistical techniques, although
there are combinations of and transitions between
the categories. Categories 1 and 2 imply a diagnostic
understanding of circulation mechanisms. In the
empirically based approaches 1 and 3, a clear distinc-
tion must be made between the dependent portion
of the record (or training period) from which the
method was developed and the independent data
set reserved for the verification of forecast per-
formance (verification period). An independent
verification period is essential to protect against
noise-fitting, a severe risk especially where a large
number of predictors is used after excessive screening.
In category 2, verification of performance against
observations over a couple of decades is also in
order.

Approach 1 – general circulation and statistics – is
illustrated in Figure 2. Studies of general circulation
diagnostics are aimed at understanding the mecha-
nisms of climate anomalies. On this basis, indices
are selected that appear promising as predictors.
Effective combinations of predictors and formulations
of quantitative predictor–predictand relationships
are ascertained by appropriate statistical methods,
such as stepwise multiple regression (SMR), linear
discriminant analysis (LDA), and neural networks.
Other statistical procedures widely used include
canonical correlation analysis (CCA), singular
spectrum analysis (SSA), and empirical orthogonal
function (EOF) analysis. The quantitative predictor–
predictand relationship represents the prediction
model. This then serves for calculating predictand
values for a portion of the record that had not
been used in the development of the prediction
model. Quantitative comparison of the calculated
versus the observed values of the predictand provides
verification of forecast performance. The evolu-
tion from general circulation diagnostics to prognosis
is exemplified by a series of papers on Brazil’s
Nordeste.

An understanding of the general circulation mech-
anisms of climate anomalies from empirical–diagnos-
tic studies is also basic to approach numerical
modeling. This is exemplified for the Pacific El Niño
phenomenon in the progression from the pioneering
empirical oceanographicwork over the first diagnostic
ocean numerical studies to the application of numer-

ical models for the operational prediction of El Niño.
Similarly, the application of general circulation mod-
els (GCM) to seasonal rainfall forecasting for the
West African Sahel and Brazil’s Nordeste have a broad
empirical–diagnostic basis. In approach 2 the
prediction model is developed from basic circulation
theory rather than from past observations as in
approach 1. Accordingly, the separation into depend-
ent and independent portions of the record (as
for approaches 1 and 2) does not arise. Values
calculated from previously observed conditions
are again compared with the observed predictand
values for verification. In principle, there are
prospects of coupling the atmosphere, ocean,
and land surface portions of the system. Purely
statistical techniques (approach 3) may seem unsatis-
factory because of the lack of insight into the circu-
lation mechanisms involved. Some of these endeavors
merit attention, however, because of their remarkable
practical performance.

Regional Targets

Methods for the forecasting of interannual variability
have been developed for numerous regions, especially
in the low latitudes. A series of examples are addressed
here, namely, Indian monsoon, eastern and southern
Africa, Sahel, Northeast Brazil (Nordeste), North
Atlantic storms, El Niño and Southern Oscillation,
Australia, North America and Europe, as identified
in Figure 1.

Indian Monsoon

Empirical–diagnostic research over more than a
century has led to a considerable understanding of
the general circulation mechanisms of Indian mon-
soon rainfall anomalies and to the identification of
numerous viable predictors. These can be loosely
grouped into three classes, pertaining to the upper-
air flow over India, to heat low development
over southern Asia and establishment of meridional
pressure gradient and cross-equatorial flow over
the Indian Ocean, and to the Southern Oscillation
(SO, high phase defined by anomalously high/low
pressure at Tahiti/Darwin), although there are
interrelations between the three classes. Figure 3

VERIFICATIONPREDICTION
REGRESSION

MODEL
PREDICTOR
CANDIDATES

GENERAL
CIRCULATION
DIAGNOSTICS

Figure 2 Scheme of climate prediction based on general circulation diagnostics and statistics. (Adapted from Hastenrath, 1995a.)
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illustrates two simple prediction models based on
variously used predictors and stepwise multiple
regression. Conspicuously absent in the prediction of
the Indian monsoon rainfall anomalies is the use
of numerical models in the operational work of
the India Meteorological Department or in the pub-
lished literature. This is all the more remarkable
because the sustained empirical work has afforded
a sound understanding of the functioning of the
general circulation of the monsoon and has shown
Indian monsoon rainfall anomalies to be amenable to
prediction. Along with these overall encouraging
prospects for Indian monsoon forecasting, the
reservation should be noted that the performance
of various predictors has been known to vary in
the long term. Predictability was found to be high
for the 1960s and 1970s, to be followed by drastically
reduced performance in the 1980s, as is apparent
in Figure 3. Such changes in predictability should
be seen in the context of decadal-scale evolutions in
the general circulation setting, but the direct
causalities await clarification. Numerical model
applications to the prediction of Indian monsoon
rainfall anomalies will have to face the decadal-
scale changes in intrinsic predictability as an added
challenge.

Eastern Africa

Eastern Africa features two rainy seasons centered
around April–May and October–November, and only

the latter is strongly (and inversely) related to the
SO. On purely statistical grounds, it has been shown
that a portion of the variance of boreal autumn rains is
predictable from the Tahiti minus Darwin pressure
index alone. The general circulation causes of eastern
African rainfall anomalies are related to the
SO through a combination of cooperative mecha-
nisms, which most effectively function in the boreal
autumn rainy season of eastern Africa. (a) Westerly
winds along the Indian Ocean Equator are conducive
to lower-tropospheric divergence over equatorial
East Africa; in the high SO phase these are accele-
rated, especially in October–November owing
to the anomalous eastward pressure gradient. (b)
The Equatorial westerlies drive the Eastward Equato-
rial Jet in the upper hydrosphere, which entails cold
water upwelling in the western extremity of the
basin, where sea surface temperature further hydro-
statically affects the zonal pressure gradient and
thus feeds back into the equatorial westerly winds.
(c) In addition, cold water anomalies in the western
Indian Ocean, most pronounced in October–
November during the high SO phase, also suppress
convection. (d) In the high SO phase, the Indian
summer monsoon tends to be strong, leaving behind
an anomalously cold western Indian Ocean,
which in turn feeds into the mechanisms (a) to
(c). These processes are strong and definite in
October–November, when the equatorial westerlies
correlate at �0:85 with the rains at the East
African coast, but reveal themselves little in
effective precursors. Relationships for April–May
are weak.

Southern Africa

Various groups endeavor to forecast the austral
summer rains of Southern Africa from purely statis-
tical methods and more recently also using numerical
modeling. Rains tend to be more abundant during the
high/cold SOphase.Abetter diagnostic understanding
of the circulation mechanisms of rainfall anomalies is
needed.

Sahel

The climate problems in the sub-Saharan zone ofWest
Africa are particularly complex because interannual
variability is superimposed on drastic decadal-scale
changes of rainfall. These share some common mech-
anisms involving variations of the meridional sea
surface temperature (SST) gradient in the tropical
Atlantic and latitudinal displacements of the Inter-
tropical Convergence Zone (ITCZ), as well as SST
changes in the western Indian Ocean, but the reasons
for the persistence of the present drought conditions
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Figure 3 Prediction of all-India summer monsoon rainfall from
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1995a.)
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are not yet understood. Thus, it seems essential
to separate year-to-year variations from trendlike
developments, a challenge both in terms of general
circulation mechanisms and the proper statistical
treatment.

Real-time forecasts are published regularly.
The Hadley Centre of the UK Meteorological Office
contributes forecasts from both empirical and numer-
ical modeling approaches. The empirical method
entails empirical orthogonal functions of SST,
where the interhemispheric SST gradient in the
tropical Atlantic is most important. Correlation
between forecast and observed rainfall is around
0.6, mostly related to persistence. The numerical
modeling has global SST as input and correlations
of predicted versus observed rainfall are between
0.3 and 0.6. The NOAA-Climate Prediction Center in
the United States reports results from an empirical
method using canonical correlation analysis on global
SST and gridded rainfall data for Africa. Most
important is the interhemispheric difference in
SST anomaly, particularly in the Atlantic, and ENSO
is not the dominating aspect of the relationship;
correlation between predicted and observed
rainfall is around 0.3. Thus, there are indications
for a moderate predictability of Sahel rainfall
anomalies. Given the peculiar evolution of Sahel
climate, closer attention to the contributions from
year to year compared to trendlike developments
seems desirable.

North-east Brazil

Northern Northeast Brazil has its rainy season nar-
rowly concentrated around March–April, when
the near-equatorial trough reaches its southernmost
position in the course of the annual cycle. Rainfall
anomalies have a severe human impact, their general
circulation mechanisms are definite and well under-
stood, and they offer themselves as a prime target
of opportunity for climate prediction. During drought
years, the southward SST gradient in the tropical
Atlantic is enhanced, the near-equatorial low-pressure
trough and embedded wind confluence and ITCZ
are displaced northward, and the North Atlantic
Trade Winds are reduced while the cross-equatorial
flow from the Southern Hemisphere is accelerated.
Warm water anomalies in the equatorial Pacific also
tend to be associated with dry conditions in Brazil’s
Nordeste.

General circulation diagnostics combined with
statistical techniques form the basis for effective
prediction methods. In the work at the University
of Wisconsin, the predictand is an index of the
March–June rainfall in the northern Nordeste, con-

structed from a network of quality-controlled rain
gauge stations with continuous record. Effective
predictions can be made from observations through
January. The predictors are the preseason rainfall
in the Nordeste itself, indices of the fields of
the meridional wind component and of SST in the
tropical Atlantic, and, less importantly, an index
of equatorial Pacific SST. This information serves as
input to stepwise multiple regression, linear discrimi-
nant analysis, and neural networking. Figure 4 illus-
trates the performance of two models using stepwise
multiple regression and of one based on neural
networks. An approach by the UK Meteorological
Office uses as input information SST in the tropical
Atlantic and equatorial Pacific. The diagnostic re-
search at theUniversity ofWisconsin has also served as
basis for numerical modeling experiments by other
groups.
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Figure 4 Prediction of an index of March–June rainfall in

northern Northeast Brazil from three models, using as predictors

October–January Nordeste rainfall (ONDJ); index of January

meridional wind component over the tropical Atlantic (V); index of
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November–January SST field in the tropical Atlantic (T31-NDJ);

andSSTanomaly in the equatorial Pacific (PAC).Solid dots denote

regressed (trained for model N) values for years up to 1957 and

forecast values from 1958 onward, as separated by the vertical

broken line. Open circles indicate observed MAMJ values in all

panels. Models 25 and 32 use stepwise multiple regression, and

model N neural networking.

414 CLIMATE PREDICTION (EMPIRICAL AND NUMERICAL)



North Atlantic Storms

Since the mid 1980s, seasonal forecasts have been
issued for North Atlantic hurricane activity with
remarkable success. Input information includes
stratospheric zonal wind component, El Niño devel-
opment in the Pacific, pressure over the Caribbean,
and rainfall over West Africa.

El Niño and Southern Oscillation (ENSO)

Following the considerableunderstandingof theunder-
lying atmospheric–hydrospheric mechanism offered
by extensive empirical–diagnostic investigations El
Niño has been an early target of efforts in extended-
range forecasting. It was the prediction of El Niño to
which numerical modeling was first applied. Methods
developed from a numerical ocean model driven by
recent observed surface winds, over a coupled ocean–
atmosphere model using the observed history of the
Pacific wind field during the preceding years, to a two-
tiered approach in which a model for predicting
tropical Pacific SST is used in tandem with an
atmospheric GCM. It may be anticipated that even
though the upper-air flow patterns seem realistically
depicted, the prediction of regional rainfall anomalies
remains a challenge.

Purely statistical techniques have also proven effec-
tive for the prediction of El Niño, including canonical
correlation analysis of SST and wind fields, SSA of
the Tahiti minus Darwin index, and linear inverse
modeling of SST.

To the extent that warm water anomalies in
extended areas of the equatorial Pacific feed back
into the atmospheric circulation, the prediction of El
Niño is of interest beyond the Pacific domain proper. It
must be noted, however, that the SO contributes
substantially to the interannual climate variability
only in limited regions of the tropics. With a view to
implications for the global atmospheric circulation, at
the Climate Prediction Center of NOAA observed
surface and subsurface thermal conditions are input to
an ocean model and an anomaly coupling scheme is
used for interaction with the atmospheric model. The
Pacific El Niño phenomenon is clearly related to the
SOand this is commonly described by theTahitiminus
Darwin pressure index. Signals of the SO are perva-
sive, but only in limited domains of the tropics does
this contribute substantially to the regional climate
variability.

Australia

Lying as it does near a dipole of the SO, it is not
surprising that the greater Australian region has its
climatic variability strongly tied into the phases of this
large-scale pressure seesaw. In the high SO phase,

surface waters to the north of Australia and in
the Indonesian seas tend to be anomalously warm,
with low pressure and relatively abundant rainfall.
In accordance with the prevailing SST anomalies,
tropical storm activity also tends to be enhanced.
Such processes in the large-scale circulation setting
are being used to advantage for real-time fore-
casting of rainfall, tropical cyclone activity, and crop
yields.

North America

Seasonal forecasts of the spatial patterns of tempera-
ture and precipitation anomalies over the United
States are regularly issued by the Climate Prediction
Centre of NOAA, based on statistical methods and
numerical modeling. The forecast system consists of
tools that forecast the tropical Pacific SST and tools
that forecast the US surface temperature and precip-
itation. Forecasts of tropical Pacific SSTare produced
from canonical correlation analysis of patterns of
global sea level pressure and tropical Pacific SST, and
from coupled ocean–atmosphere models run with full
coupling in the tropical Pacific region. These statistical
and numerical modeling results are then combined
into a forecast of tropical Pacific SST. This along with
the SST values observed elsewhere in the global ocean
serve as boundary condition to force an atmospheric
GCM. Note that this two-tiered numerical modeling
system is in principle applicable anywhere over the
globe, depending on any skill which could be derived
from it, but it is used operationally only for US
seasonal forecasts. In addition to this two-tiered
numerical modeling system, statistical techniques are
also applied, namely, optimal climate normals (OCN)
for the region and canonical correlation analysis of the
global SST, northern hemispheric 700 hPa patterns,
and US temperature and precipitation. A statistical
consolidation of the diverse tools is made to aid the
forecasters in objectively combining the information.
In the course of the annual cycle, skill is highest at the
end of winter and summer, and poorest in between. In
this context, lead times are less relevant, so that
forecasts are issued out to a year; at certain seasons,
skill is low even at the shortest lead times; at other
seasons, whatever little is known is known well in
advance. In a similar vein, experiences for India and
north-east Brazil have shownpredictability a couple of
months ahead of the season, with no improvement at
shorter lead times.

Europe

Attempts at seasonal forecasting of temperature and
precipitation by the UK Meteorological Office con-
tinue, based on statistical methods and numerical

CLIMATE PREDICTION (EMPIRICAL AND NUMERICAL) 415



modeling. Wintertime SST anomalies in the North
Atlantic serve as input to linear regression to predict
summer temperature for central England. An exten-
sion of this work is devoted to the prediction of
summer temperature over Europe. Associations with
ENSO are found to be weak.

Amajor collaborative European effort involving 11
institutions in six countries, PROVOST, aims at
exploring the potential of numerical modeling for
seasonal forecasting for the continent. Tentative
results have been reported from the contribution of
the UK Meteorological Office. ENSO has not fur-
nished skill for the prediction of the winter or spring
conditions. Interest also focuses on the possibility of
predicting when a forecast will be skillful. Work
continues.

Caveats

It is tempting to believe that the tropical climate
prediction problem can be reduced to ENSO and that
numerical modeling is the obviously superior tool in
the long run. These widely held beliefs are briefly
addressed in the following.

Regarding ENSO, it should be realized that inter-
annual variability in the regional climate is directly
due to anomalous behavior of the quasi-permanent
circulation systems in the region; to the extent that the
SO is associated with variability in the regional
circulation, it may show a correlation with regional
climatic conditions. Figure 5 offers some illustrations
pertaining merely to diagnostics rather than progno-
sis. Thus, the October–November rains at the coast of
equatorial East Africa are correlated at better than 0.8
with the concurrent surface westerlies over the equa-
torial Indian Ocean, as compared to correlations of
only about 0.6 between the SO and the rains or winds.
In a similar vein, the summer rainfall in the West
African Sahel has correlations of around 0.6 with
indices of the circulation but only of 0.3 with the SO.
The rains of Brazil’s Nordeste are correlated at about
0.7 with the regional circulation, whereas the SO has
correlations of only about 0.3 with either the rain or
the circulation.

The development of both empirical and numerical
modeling methods for operational climate prediction
has been pioneered by two large governmental
institutions: the Hadley Centre of the UK Meteoro-
logical Office and the Climate Prediction Center
of NOAA. A group from the latter institution
has critically examined the potential of the two
approaches in review papers half a decade apart.
In the earlier review they found that the two
approaches delivered roughly equally skillful fore-

casts. Five years later they confirmed this assessment
and speculated about the possibility that numerical
models will never be able to materially outperform
empirical models.

In this context Nicholls’ cautioning in 1999 against
cognitive illusions in climate prediction is pertinent.
With reference to a recent experience he noted:

The general view among scientists of the
accuracy of forecasts of the El Niño of 1997
appears to illustrate hindsight bias. None
of the climate forecast systemsy predicted
anything more than slight warmingy. Yet
the forecasting of the 1997 El Niño with
large models is now regarded as a stunning
successy. Some of the model predictions for
the 1997/98 event were very poor. It seems
these misfortunes are being ignored when the
stunning success of the El Niño model forecasts
is assessedy. People seek confirmatory evi-
dence and avoid the search for disconfirming
evidence.

Outlook

There has been encouraging progress in the seasonal
prediction of interannual climate variability. While
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forecasting methods are being developed for ever
more target regions, the impression remains
that climate anomalies may be highly predictable
only for limited areas of the tropics where the bulk
of the rainfall is prevailingly derived froma singlewell-
organized quasi-permanent circulation system (such
as the ITCZ), especially at the extremes of
the planetary-scale annual cycle. Fortunately, how-
ever, these regions tend naturally to coincide
with areas that are most prone to climatic anomalies
and where the human impact is most severe. For
other vast domains the prospects of seasonal predic-
tion may be more remote. The extent to which
moderate intrinsic predictability may be practically
useful in agricultural and economic planning is an
issue that remains to be explored in continuing
discourse between the forecasting community and
the potential user community. In this context, climate
monitoring should be cultivated in tandem with
climate prediction.

It seems desirable to pursue in parallel the general
circulation-based empirical approach and the numer-
ical modeling, because this combination should be
mutually fruitful and offer insight into the atmos-
phere–ocean mechanisms involved. It should be real-
ized that, although the Southern Oscillation signal is
pervasive, climate anomalies in many regions are not
prevailingly related to the SO. Decadal-scale changes
in predictability are poorly understood, an impedi-
ment to prediction regardless of technique. A broad-
based effort is needed, combining empirical and
modeling approaches and coupling diagnostics with
prognosis. Documentation of the method, verifica-
tion of performance on an independent data set,
and evaluation of real-time forecasts are always
imperative.

See also

Climate: Overview. Climate Variability: Seasonal
to Interannual Variability. El Niño and the Southern
Oscillation: Theory. General Circulation: Over-
view. Hurricanes. Monsoon: Prediction. Numerical
Models: Methods. Ocean Circulation: General Proc-
esses. Predictability and Chaos. Tropical Meteoro-

logy: Overview and Theory. Walker Circula-
tion. Weather Prediction: Seasonal and Interannual
Weather Prediction. Wind Chill. World Climate
Research Program.
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Introduction

In the final decade of the twentieth century, recovery of
high-resolution paleoclimate records of natural cli-
mate variability (see Paleoclimatology: Ice Cores;
Varves) improved dramatically our perception of the
long-term behavior of the Earth’s climate. Immediate-
ly apparent from these records was the fact that the
once implicit notion that the modern-day climate
system (following termination of the last ice age (see
Ice Ages (Milankovitch Theory)) was relatively stable,
was no longer tenable. This notion quickly yielded to
one in which the Earth’s climate is continually chang-
ing over all time scales. Presumably it will continue to
change, with or without human-induced (anthropo-
genic) influences.

Climate, as measured by the averaged value of any
characteristic of weather, such as temperature or
precipitation, can show considerable differences in
how it varies through time and across the globe. For
example, it might undergo a smooth or abrupt
transition from one quasi-stable state to another; it
may vary cyclically, not unlike the familiar daily or
annual cycles, but with cycles lasting tens or hundreds
of years or longer; and it may vary through changes in
extreme states (e.g., colder winters), or in the magni-
tude or degree of fluctuations (e.g., more storms, or
larger differences from one year to the next). When
such variations occur over, or persist for, tens to
hundreds of years, we classify them as decadal-to-
centennial variability. For convenience, variability

over these time scales is referred to as ‘dec–cen’
climate variability.

From a practical standpoint, dec–cen climate vari-
ability involves climate change that occurs once in a
while over the course of a human lifetime (e.g., the
‘real’ winters your grandfather remembers), or in
general it occurs slowly relative to our year-to-year
experience of climate. This is distinctly different from
shorter-term change that occurs rapidly, and often
apparently dramatically within a year or several years
(see Climate Variability: Seasonal to Interannual
Variability). The difference extends well beyond our
perception of the change. It also has considerable
implications regarding how the change or variations
influence society and how we study them.

Dec–Cen Variability and Society

From a societal perspective, the time scale over which
climate variability manifests itself is important from
several perspectives. Short-term variability, such as
that related to El Niño events (see El Niño and the
Southern Oscillation: Observation; Theory), influ-
ences everything from agriculture to recreation. But if
such short-term change persists for dec–cen time
scales, the implications are considerably different.
For example, in the 1990s the Midwestern United
States was twice hit with devastating floods (1993 and
1997). As rare and extreme short-term climate events,
society must deal with their impact through disaster
relief and flexible adaptive measures. But if they are a
consequence of changed climate conditions during the
latter part of the twentieth century and represent a
regular characteristic of the new climate state, then
such flooding must be dealt with through policy
decisions and investments in infrastructure.

The latter requires considerable foresight and the
best possible information. This is particularly impor-
tant for dec–cen variability since the magnitude of
climate change is often proportional to the length of
time over which it operates. Changes on dec–cen time
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scales can involve potential shifts in agriculture belts,
in drought/flooding frequency, magnitude and extent,
significant rises in sea level, fundamental adjustments
in energy usage, etc. It can also modify the larger
background climate state that influences our ability to
predict shorter-term climate events, such as El Niño.
An ability to recognize or anticipate such change in
order to minimize the negative impacts and optimize
the positive ones often requires advance action and
decisions. Consequently, an ability to forecast such
change, recognize its signs, or understand its potential
is a fundamental goal of modern climate studies.

Unfortunately, the potentially huge impacts (posi-
tive and negative) of dec–cen variations are typically,
though not always, realized only slowly with time.
Such slow, often imperceptible, change disguises the
potential long-term implications of the change, while
tending to undermine the immediacy of the problem
and our resolve to address it. So too does the
knowledge that any experienced change may be part
of a longer cycle that will be returning to its previous
(acceptable) state in due time. Regardless, climate will
change and infrastructure/policy decisions will ulti-
mately be made either in response to the change or in
anticipation based on imperfect information. Thus,
understanding dec–cen climate change in order to
provide sound information regarding the potential or
likelihood of change is fundamental to our long-term,
social and individual, well-being.

The Study of Dec–Cen Variability

The study of dec–cen climate variability is new, and
is at a distinct disadvantage relative to that of shorter-
term climate variability. In fact, the differences
are significant enough that the paradigm by which
climate studies, particularly prediction, have hereto-
fore relied on must be changed to study dec–cen
climate variability. Because dec–cen variability in-
volves slow change, long data records are required
for model calibrations, predictive skills (the ultimate
test of understanding), and observational analyses.
That is, records must contain enough occurrences
(realizations) of the phenomena being examined to
give a reasonable statistical foundation for analysis or
model–data comparison. For dec–cen variability, only
the bare minimum of such data sets currently exist.

It will take decades into the future to obtain long
and comprehensive enough modern records for
dec–cen studies. The historical record from modern
instruments does not extend far enough back in time
and is typically too sparse in most locations. Invalu-
able advances are being made in our ability to
interpolate these historical data into an internally

and dynamically consistent, comprehensive ‘reanaly-
sis’ data set through the use of models. The paleocli-
mate records, our greatest hope, are still limited
in their spatial distribution, and sometimes accuracy
and precision, though they are improving rapidly
(see Paleoclimatology: Ice Cores; Varves).

Contrast this to the remarkably successful paradigm
used to advance short-term climate prediction. In that
case, numerical models or statistical methods for
prediction can be immediately calibrated against the
past few decades of observations. They can then be
tested against an upcoming year, and soon thereafter
modified according to their success or failure. This
allows a very effective and rapid advancement in
short-term prediction.

For prediction of dec–cen climate variability, this
paradigm is clearly impractical except for cases where
the change is realized at a fast enough rate to allow
some testing in the near distant future (this is the
paradigm being used to predict greenhouse warming;
see Global Change: Biospheric Impacts and Feed-
backs; Human Impact of Climate Change; Ozone
Trends; Surface Temperature Trends; Upper Atmos-
pheric Change). Consequently, we are forced into a
different paradigm, dependent upon the collection of
comprehensive and widespread paleoclimate data sets
and the newmodel reanalysis products.We are equally
dependent upon sustained acquisition of observations
that will eventually provide that comprehensive data
set necessary for quick hindcast calibration and
evaluation of models for future generations.

Furthermore, because dec–cen variability involves
such long time scales, its study is faced with a number
of additional difficulties: (1) Even the relatively high-
order physics, those that describe and control proc-
esses that do not impose any significant influence over
short time scales, have enough time to introduce
systematic biases or feedbacks into the system which
must be accounted for over long time scales. Inmodels,
it is typically necessary that all of the physics of a given
order (i.e., relative level of importance) be included
since they often work to mitigate or enhance the
influence of one another. (2) With longer time scales,
changes can be communicated over farther spatial
distances and have time to interact with different
components of the climate system. For example,
predictions of El Niño have been quite successful
without taking into consideration the current state of
the polar sea ice fields, the level of atmospheric CO2,
or the state of vegetation on land. However, if one
wishes to predict how the frequency, intensity, or other
characteristics of El Niños may vary over decade-to-
century time scales, it is possible that any and all of
these may impart some influence that ultimately
impacts the tropical Pacific and its evolution.
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The implications of these are tremendous. Numer-
ical models examining dec–cen climate variability
must therefore include some treatment of detailed
physical processes not required in shorter-term climate
models. These detailed processes typically operate on
the smallest spatial scales, and may have their largest
influence in regions quite remote from the region of
interest (for example, some aspects of the ocean
circulation originate in the subpolar regions as a result
of small-scale local interactions, and from there
transport heat and salt to the remainder of the world’s
oceans). This requires that the models either break
the Earth into a great many very small grid cells
(see Numerical Models: Methods), or include param-
eterizations of how larger areas may respond in
average to the small (‘subgrid’) scale processes that
cannot be explicitly resolved. The former allows for
better treatment of the physics but at tremendous
computational burden (making a computer simula-
tion of the model extremely slow and expensive); the
latter relieves some of the computational burden but at
the cost of possibly overlooking some of the additional
details that may be important. In addition to these
detailed processes, the models must contain other
parts of the climate system not required in the short-
term climate models, such as the biosphere, cryo-
sphere, and atmospheric composition, ormore aspects
of the ocean, such as the very slow deep ocean
circulation. Not only do the additional physics, global
scale, and finer model resolution add computational
burden, but the very nature of the problem being
decade-to-century time scale variability requires that
such burdened models run for inordinately long
simulation periods as well, Consequently, model
simulations are slow, many of the physics missing or
uncertain, and the models are so complex that
relatively few exist. This limits our ability to assess
dec–cen climate variability by multiple experiments
under a variety of conditions with many different
models involving different parameterizations (though
this is still done to the extent possible, but it is greatly
hindered by these extreme demands).

Finally, the dec–cen problem is also faced with
making predictions based on changes in greenhouse
gases (the composition of the atmosphere) that are a
function of highly uncertain future emission scenarios.
Therefore, even ifwe succeed in understanding natural
dec–cen climate variability, future predictions must be
compromised by including uncertain estimates of how
the atmospheric compositionwill change. Herewe are
forced to depend on multiple forecasts using a variety
of different emission scenarios, but again the large
computational burden of such comprehensive models
limits the practical number of experiments that can be
run and examined. Note that it is sometimes taken for

granted that the expression climate ‘change’ repre-
sents variations in climate due to anthropogenic
reasons, where climate ‘variability’ refers to natural
variability. In this article, both change and variability
are used interchangeably, with the differentiation
between natural and anthropogenic change explicitly
stated when required.

Modes of Dec–Cen Variability

Climate variability on decade-to-century time scales
has manifested itself in historic times through a
number of fairly well-known climate events (see the
Further Reading section). Some of the more notable
ones include the prolonged drought of theGreat Plains
of theUnited States responsible for the dust bowl of the
1930s, and the crippling drought of the Sahel in
northern Africa during the latter decades of the
twentieth century, which killed over half a million
people in the mid-1970s. The global warming of the
twentieth century or the enhanced warming started in
the mid-1970s. Changes in the Earth’s ozone layer
have led to increases in the level of ultraviolet radiation
at the Earth’s surface in high southern and, more
recently, northern latitudes. Dec–cen changes in cloud
cover also have led to increased surface radiation in
Australia,NorthAmerica, India, and Europe through-
out the twentieth century. The number of major
hurricanes varies on dec–cen time scales, as do the
number of Nor’ Easters ravaging the north-east coast
ofNorthAmerica. Sea level has been rising throughout
the last century (B20 cm) and changes in ecosystems
directly related to dec–cen climate have been dramatic
in fisheries: the North Atlantic cod and eastern North
Pacific salmon. Paleoclimate evidence suggests that
dec–cen climate variability is also responsible for
the fall of civilizations (e.g., the Classic Maya) and
mass migrations of societies (e.g., the Nordestinos of
Brazil).

While the dramatic nature of these events makes
them rather conspicuous examples of dec–cen varia-
bility, much of our focus is directed toward a broader
view of dec–cen variability. Specifically, observations
made during the last several decades suggest that
climate variability over large expanses of the Earth
seems to organize itself into patterns that preserve a
general shape in space, but whose amplitude may
change in time. Such coherent structure is referred to
as a mode of variability or, to admit a slightly broader
class of structures, they are more generally referred to
as climate patterns or spatial–temporal patterns.

Our study of such patterns is relatively new and,
because of the lack of historical global data (though,
here reanalysis data have proven invaluable), we do
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not have a comprehensive inventory of the global
patterns, nor do we understand their mechanisms,
couplings, longevity, or full implications for climate
prediction. However, we are encouraged by the study
of the most thoroughly investigated pattern: the El
Niño Southern Oscillation (ENSO) pattern. El Niño
and La Niña are extreme states of the ENSO pattern
(see Monsoon: ENSO–Monsoon Interactions). The
ENSO phenomenon is characterized by a pattern of
tropical Pacific sea surface temperature (SST) relative
to the mean SST. Studies of it revealed that the state of
the pattern (e.g., periods when the eastern tropical
Pacific SST was abnormally high) was related to
regional climate in various regions around the world.
Further investigation revealed that the pattern was
predictable according to some simple laws involving
the interaction of the atmosphere and ocean (over
short time scales). This led to considerable insights
regarding the nature of climate, the coupling between
climate components (in this case, the ocean and
atmosphere), scales of influence and, most important-
ly, our first successful climate predictions (over
seasonal to interannual time scales). We are hopeful
that additional predictions for other regions of
the Earth may be realized in analogous fashion for
dec–cen varying patterns.

These other patterns are not as well documented or
studied, but indeed they do appear to be related to
regional climate. Some are also related to the frequen-
cy of hurricanes, Nor’ Easters, crop yields, and
fisheries. The covariation of two patterns dominated
global temperature variations since the mid-1970s.
Others display regional or global teleconnections, and
they may serve to focus different climate forcings and
processes into single coherent responses. Because of
these attributes and covarying relationships, it is
hoped that their further study may ultimately yield
benefits similar to those obtained through the study of
ENSO. Patterns also provide an obvious means for
breaking the complex climate system down into a
finite set of manageable, and hopefully predictable,
components.

Most modes are defined by statistical classifications
of the observed variability in surface temperature, sea-
level pressure, or other quantities. The precise defini-
tionmay vary according to the statisticalmethodology
employed to define them (seeDataAnalysis:Empirical
Orthogonal Functions and Singular Vectors). Statisti-
cal patterns may ultimately prove to be related to
physical laws or to the distribution of land and ocean,
ofmountains, etc. Theymay also be artifacts of nature,
whereby they are not stable over long periods of time,
or they may be statistical artifacts.

The twomost important patterns that showdec–cen
variability are the North Atlantic Oscillation (NAO;

see Climate Variability: Seasonal to Interannual Var-
iability) and the Pacific–North American Teleconnec-
tion (PNA; 0400). In addition to these, there is a
pattern in the tropical Atlantic (referred to as tropical
Atlantic SST variability), in which SST often shows
anomalous warmth (referred to as a ‘warm pool’) in
the tropical North Atlantic and a complementary cool
pool in the tropical SouthAtlantic, or vice versa. These
seem to vary coherently over decadal time scales,
though they vary independently on shorter time scales
in these regions. These low-frequency SST phenomena
show concurrent anomalies in the rainfall over Brazil
and northernAfrica. It has also been suggested that the
decadal changes in the SST in the subtropical North
Atlantic may be responsible for changes in the distri-
bution and intensity of hurricanes in that region.

Likewise there is a decadal ENSO-like pattern,
where low-frequency covarying changes in the trop-
ical Pacific atmosphere and ocean strongly resemble
the pattern of the interannual ENSO phenomenon,
including teleconnected anomalies in the midlatitude
atmosphere and ocean of the North Pacific. These
decadal ENSO-like anomalies are also teleconnected
throughout the tropics, with large concurrent changes
in tropical Atlantic and Indian Ocean SST, in addition
to the North Pacific.

This anomaly pattern has shown an extended
‘warm’ phase throughout the last few decades of
the twentieth century, which preceded a significant
reduction in the alpine glaciers throughout the tropics.
The frequency of precipitation, stream flow, and
snowpack in the north-west and south-west of North
America are also well correlated with this time series
describing the decadal ENSO-like climate pheno-
menon variability.

A number of regional atmospheric patterns have
been analyzed such as the North Pacific Oscillation
(NPO),West PacificOscillation (WPO),West Atlantic
Pattern, and Pacific Decadal Oscillation (PDO). It is
not clear how these are related to the PNA or each
other (if at all). A completely different kind of pattern,
involving sea ice, has been found in the Southern
Ocean, and is called the Antarctic Circumpolar Wave
(ACW). This pattern is characterized by deviations in
the Antarctic sea ice extent from monthly climatolog-
ical averages, though it is also apparent in surface
wind, SST, and sea-level pressure anomalies near the
winter ice edge. It is also highly coherent with
temporal variations in ENSO and the Indian Ocean
monsoons. Other atmospheric patterns have been
identified in the Southern Hemisphere, though the
data are typically too sparse in time and space to allow
more detailed analyses of these.

In addition to the above, there are structures which
may, or may not, be considered climate patterns,
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though they are often related to the other patterns or
presented in a similar manner. For example, the Asian
monsoon, though predominantly a seasonal signal,
is strongly correlated to ENSO and shows decadal
variability as indexed by precipitation and wind
speeds over India. The global thermohaline circula-
tion (see Ocean Circulation: Thermohaline Circula-
tion) has been tied to distinct changes in the ocean
surface conditions and NAO in the North Atlantic
Ocean.

Mechanisms of Dec–Cen Variability

The mechanisms responsible for dec–cen climate
variability are conveniently separated into those that
arise as a consequence of changes in the external
forcing of the system and those that arise due to
internal variability within the system (independent of
changes in the forcing). The external forcing on the
Earth’s climate consists of solar radiation impinging
on the Earth’s atmosphere, aerosols (particles or liquid
suspended in air) from volcanic eruptions, and the
chemical composition of the atmosphere (controlled
by natural and anthropogenic sources/sinks of green-
house gases). The ice ages and the more recent Little
IceAge have been attributed to changes in the intensity
of incoming solar radiation. Such changes are typically
very small (of the order of a couple percent for the ice
age changes associated with changes in the Earth’s
orbital geometry; and even smaller for the Little Ice
Age associated with changes in sunspot activity.
Unfortunately, while the observed climate variations
of the ice ages andLittle Ice Age are consistentwith the
variations in solar activity, we still do not understand
how suchminuscule changes can drive such significant
responses.

Clearly changes in climate associated with changes
in the external forcing require that we can predict the
changes in the forcing. Therefore, climate predictions
and mechanisms of change associated with changes in
external forcing require studies that work under given
scenarios of change.

The most fundamental theory regarding internal
dec–cen climate variability (i.e., independent of
changes in external forcing) was presented in an
elegant theory by Hasselmann, whereby the day-to-
day weather, representing high-frequency climatic
noise, works to drive a slow component of the climate
system such as the ocean. Relative to the atmosphere,
the ocean has an enormous heat capacity and mixes
slowly. These characteristics regulate the speed with
which it can respond to changes in the forcing (thus, it
is considered a slow component relative to the
atmosphere which is a fast component). The ‘muted’

response of the ocean serves to integrate the high-
frequency atmospheric forcing resulting in an ocean
that also varies but over considerably slower time
scales. This theory, in combination with the influence
of land–sea contrasts and distribution of mountain
belts, allows for spatially varying patterns of dec–cen
variability. It represents the most basic mechanism of
dec–cen variability (effectively, our ‘null hypothesis’ in
the absence of more complex mechanisms).

Other possible internal mechanisms include
the interactions between the slow variations of
the slow components (e.g., the ocean and the cryo-
sphere), and the coupling of system components
that individually may not show slow variability, but
together can. A considerable amount of attention
has been given to mechanisms of decadal ENSO
variabilitywhereby tropical SSTanomalies are quickly
propagated through the atmosphere to the extra-
tropics and midlatitudes where they introduce local
anomalies to the ocean. The ocean retains the anomaly
while slowly transporting it back to the tropics
(via surface currents, subsurface currents, etc.)
where it moderates the tropical SST causing
further anomalies and continuation of the cycle.
Considerable progress has been made toward identi-
fying potential mechanisms, though more work is still
required. Presently, these hypotheses help to focus
model experiments and observational studies.

Future Directions and Needs

As stated, the study of decadal-to-centennial climate
variability is in its infancy. New discoveries are being
made each year, and at the time of this writing we are
clearly on the steep slope of the learning curve. The
task is onerous given the considerable demands on the
models for including all components of the climate
system (atmosphere, ocean, cryosphere, biosphere,
and land surface), resolving processes operating at the
smallest spatial scales to the largest, and having to
integrate (run) the models for decades to centuries of
model years to realize a single simulation. More
powerful computers and their broader availability to
climate researchers will aid considerably in this
respect, as will close collaboration between scientists
of multiple disciplines, and between observationalists,
theorists and modelers.

We are faced with changing atmospheric concen-
trations of radiatively active gases and we need to
obtain more accurate records of the actual emission
rates to help constrain models simulating past condi-
tions.We have limited observations of dec–cen climate
variability, and those from the twentieth century may
already be contaminated by anthropogenic climate
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change (masking the signal of natural variability that is
required in order to ultimately recognize an ant-
hropogenic change from the natural variability back-
ground). There are additional demands on the data
quality required to efficiently study dec–cen variabil-
ity. This reflects the fact that dec–cen change pro-
ceeds at such a small pace on a year-to-year basis,
and that any such change is easily lost within the
diurnal and seasonal cycle as well as standard inter-
annual variability, all of which are large relative to the
annual dec–cen change. Thus, we need high-precision
instruments to pick up dec–cen change as early as
possible.

At present, there is no long-term climate observing
system for dec–cen variability in place. Consequently,
if we are to provide an observational basis fromwhich
future generations will be able to more reliably
diagnose their model (hindcast) predictions, and
analyze comprehensive records of dec–cen variability,
we must begin a systematic collection of key variables
now. This requires close coordination between re-
search and operational groups.

Despite these impediments, we are encouraged
by the fact that climate patterns may ultimately
allow us to predict some aspects of dec–cen
climate variability. The problem is of considerable
importance and will yield invaluable insights regard-
ing the nature and sensitivities of our planet’s climate
system.

Nomenclature

Dec–cen variability: climate variability on decade to
century time scales

Mode (or pattern): statistically consistent spatial
patterns in observed climate
variability in which patterns
preserve a general shape in
space, but whose amplitude
varies through time.

NAO: North Atlantic Oscillation,
representing a large spatial pat-
tern that influencesmuch of the
North Atlantic and bordering
continental regions, indexed
by pressure difference between
Iceland and Lisbon, and linked
to storms, winds, precipitation,
and other regional climate.

PNA: Pacific–North American Tele-
connection, representing a
large spatial pattern that influ-
encesmuch of theNorth Pacific
and North America, indexed
by 500mb height anomalies

between several regions of ac-
tivity, linked to several smaller
patterns in Pacific and appar-
ently to regional and hemi-
spheric climate in general.

Teleconnection: apparent links between broad-
ly separated regions of the
Earth, identifying locations
that covary in some climatic
characteristic and presum-
ably indicating some causal or
perhaps predictable relation-
ship.

Cryosphere: That portion of the climate
system related to ice or extreme
cold (cryo means very cold),
such as glacial ice, sea ice,
snow, lake and river ice, cold
ocean regions and alpine belts,
but typically not including ice
clouds (cirrus), or the frigidly
cold stratosphere.

See also

Climate Variability: North Atlantic and Arctic Oscillation;
Seasonal to Interannual Variability. Data Analysis: Em-
pirical Orthogonal Functions and Singular Vectors.El Niño
and the Southern Oscillation: Observation. Ice Ages
(Milankovitch Theory). Numerical Models: Methods.
Ocean Circulation: Thermohaline Circulation. Paleocli-
matology: Ice Cores. Teleconnections.
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Introduction and Basic Principles

Instrumental records of climatic parameters only
cover one or, at best, a few centuries. Since climate
is often defined as the mean state of the atmosphere
over several decades, this represents a very poor
sampling interval for the study of climate natural
variability. If direct observations are not available,
reconstructions over much longer periods of time are
necessary, in particular to better understand the
stability properties of the climate system. Many
paleoclimatic indicators have thus been developed
and compiled, in particular to document the late
Pleistocene era, the last few hundred thousands of
years, which also covers the time of human develop-
ment. The largest observed environmental changes
are undoubtedly the succession of glacial and inter-
glacial climates.

Geologists in the mid-nineteenth century have
found many traces of glacial deposits far away from
present-day glaciers. The only possible explanation
was a much colder climate, and the theory of Quater-
nary glaciations was born. From the beginning, it was
suspected that the orbital variations of the Earth may
be responsible for the succession of glacial and
interglacial epochs. Still, Milankovitch was the first,
in the early twentieth century, to provide a convincing
astronomical theory of paleoclimates based on the
detailed computation of the solar energy received at
the top of the atmosphere, or insolation. But a major
difficulty of geology at this time was the impossibility
to provide an absolute temporal framework. The
recent advances in geochemistry, the use of radioactive
chronometers, and the increasing accuracy of analy-
tical technologies have largely confirmed the role of
orbital variations on the Earth’s climate. Still, many
questions remain unanswered.

In the 1990s the discovery of widespread sub-
Milankovitch variability was a big surprise. Since the
orbital changes of the Earth are very slow, it was

generally implicitly assumed that changes in climate
should also be gradual ones. But recurrent and abrupt
climatic changes of large amplitude have been found in
many locations, without any possible linkwith orbital
variations. This ‘sub-Milankovitch’ variability inval-
idates the idea that climate changed continuously in
the past. The climate appears to be a much more
variable system than previously suspected. With all
this new information onQuaternary climatic changes,
the understanding of glacial–interglacial cycles is
currently rapidly progressing.

Glacial–Interglacial Variations

Glacial Times

During glacial times, the Earth was quite a different
environment. Huge ice sheets, up to 3 km high,
covered Canada and Scandinavia. The water mass
that was thus stored over the continents represents
about 3% of the oceanic reservoir. Consequently, the
sea level was about 120m lower, and the coastlines
were quite different from the present day: Englandwas
no more an island, the Indonesian throughflow was
much reduced, and severalmarginal seaswere nomore
open to the ocean. Because of the dramatic increase in
the extent of continental and sea ice, the planetary
albedo was significantly larger, and the global mean
temperature was several degrees below the present-
day value. Climate was generally much drier. The
atmosphericCO2 concentrationwas around200 ppm,
compared to the preindustrial value of 280 ppm.
Ecosystems were shifted Equatorwards by up to a
thousand kilometers.

How such drastic changes are induced is still a
matter of debate. As early as in the nineteenth century,
variations in the Earth’s orbital parameters were
suspected to have a fundamental role. However, since
most components of the Earth systemare involved (the
atmosphere, the ocean, the cryosphere, the biosphere,
and many geochemical cycles), the detailed mecha-
nisms leading to ice age cycles are still largely
unknown.
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Glacial Cycles and the Astronomical Theory

In the 1970s–80s, advances in analytical technologies
and in geochemistry provided a clear demonstra-
tion that the glacial–interglacial changes are induced
by the variations of the orbital parameters of
our planet. Indeed, the Earth’s orbit is an ellipse
whose characteristics are influenced by the other
planets (Figure 1). Its eccentricity e undergoes changes
with pseudo-periodicities around 100 and 400 kyr
(1 kyr5 1000 years). Furthermore, the moon and
the sun act on its equatorial bulge to change the
position of the Earth’s axis: the tilt, or obliquity, e of
the Earth’s axis with respect to the orbital plane
changes between about 221 and 24.51 with a main
periodicity of 41 kyr, and the position $ of the
astronomical seasons (solstices and equinoxes) rela-
tive to the perihelion is also changing. Its energetic
effect, measured by the precessional parameter e sin$,
varies with periodicities around 23 and 19 kyr. All
these astronomical periodicities have been found in
the geological record (Figure 2), which is a clear
demonstration that astronomical changes are driving
climate variations.

Eccentricity changes only affect the global mean
annual insolation very slightly (0.1–0.5Wm�2). Ob-
liquity changes, by shifting the location of the tropics
and polar circles, affect the latitudinal distribution
of annual insolation by several Wm�2, the effect
at high latitude being maximum in summer (10–
100Wm�2 at the pole) and null in winter. The
precessional changes are, on the contrary, zero in

annual mean and only change the seasonal distribu-
tion of insolation (10–100Wm� 2). Obliquity and
precessional changes are usually assumed to be the
main external forcing parameters, while eccentricity is
important mostly in modulating the amplitude of the
precessional parameter e sin$.

The theory of Milankovitch stresses the role
of summer insolation at high northern latitudes
on the persistence of snow fields throughout the
year, and therefore on the mass balance of ice
sheets in these areas. This is indeed probably a critical
parameter and climate appears to respond almost
linearly to this insolation in the 23 and 41 kyr
frequency bands. Nevertheless, the mechanisms
and feedbacks leading to the building and melting
of the huge ice caps present during glacial times,
or those leading to large changes in atmospheric
CO2 levels, are poorly known. The most important
changes occur about every 100 kyr (Figure 3). These
large changes cannot be directly related to the eccen-
tricity changes, both from data analysis and
from simple energetic considerations. Furthermore,
probably the largest ice volume (or sea-level) change in
the Quaternary occurred around 430 kyr before
present (BP): sea level during stage 12 may have been
20m lower than during the last glacial maximum
(LGM), while during stage 11 sea level might
have been 20m higher than the present, which
probably implies the melting of Greenland and
parts of Antarctica. This deglaciation (termination
V) occurred at a time of low eccentricity, and there-
fore of minimal insolation changes. The reverse
situation also happens to be true: termination III
(between stages 8 and 7) is rather small, while
the insolation changes are maximal at this time. A
simple linear relationship between high northern
latitude summer insolation and glacial cycles is
consequently not possible, at least for the main
terminations, and strongly nonlinear mechanisms
need to be invoked to account for these observed
peculiarities in the glacial cycles. Another difficulty is
the ‘mid-Pleistocene’ transition about 1 million years
ago, from climatic variations dominated by the 41 kyr
periodicity, to the more classical 100 kyr cycles that
are dominant since. This evolution can be understood
as the last stage of the slow cooling trend all along the
Cenozoic era, from tropical climates all over the Earth
during the Cretaceous to glacial cycles in the Quater-
nary. Still, no particular geological event can be
associated with this mid-Pleistocene transition, and
the Earth climate appears to switch along, rather
abruptly, from one variability mode to another one.
Here again, the concept of ‘quasi-linear’ oscillations
around some basic equilibrium state appears to be
inadequate.
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Figure 1 Orbital parameters of the Earth involved in the

insolation. The eccentricity e is defined as e ¼ c=a (c5distance

between focus and center of the ellipse, a5 semimajor axis). The

present-day value is e50.0167. The tilt of the Earth’s axis with

respect to the orbital plane is the obliquity e (current value

e523.441) which defines the location of the tropics and polar

circles on Earth. The intersection of the Earth’s equatorial plane

and its orbital plane defines the line gg0 and the position of solstices
and equinoxes. The position of the perihelion with respect to g
(the spring equinox) is called $ , the climatic precession.
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Variability During the Last Ice Age

Phenomenology, Data, and Models

The presence of large ice sheets over North America,
Scandinavia, and Siberia during the last ice age
(approximately 110–15 kyr BP) lowered the average
temperature over the Northern Hemisphere, with a
spatial variability caused by orography changes.
Those large ice sheets also had an impact on the
climate stability itself, and enhanced the magnitude of
temperature variations, as well as other factors, such
as precipitation, sea level and the ocean circulation.
The contrast between the relatively calm Holocene
and the variable ice age is shown in Figure 4 (GRIP and
Byrd isotopic records). The wide oscillations that
punctuated the last ice age were discovered jointly in
marine and ice core records, andwere given particular
attention as soon as a commondrivingmechanismwas
proposed for the overall picture.

Thepresence of layers of debris inNorthernAtlantic
cores suggested the existence of iceberg discharges

from the Laurentide ice sheet eroding the floor, and
transporting the material into the middle of the
Atlantic Ocean off the margin of Portugal. Analyses
of oxygen-18 (see Isotopes, Stable) in these cores
showed spikes interpreted in terms of salinity anom-
alies due to discharges of fresh water. These events
were numbered and named after Heinrich who first
reported the debris layers in a marine core (Figure 4).

In parallel, millennial variations – which are con-
sidered rapid compared to Milankovitch typical fre-
quencies – were also observed in a Greenland ice core.
These oscillations in isotopic content were proved to
be climatically relevantwhen the high-resolution cores
from Dome Summit (Greenland) came, and were
correlated with Northern Atlantic marine cores, as
well as some terrestrial records. Such oscillations have
an approximate periodicity of 1500 years, and were
also found in high-resolution marine records. Many
research groups have reported this kind of variability
in various remote places on the planet (Antarctica,
Santa Barbara Basin, China, etc.), hence suggesting a
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reflects, to first order, the variations of the mean ocean oxygen isotopic composition, and thus the variations of global ice volume. The

spectral analysis of this record, as well as of most paleoclimatic records, reveals the astronomical periodicities.
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global phenomenon. The associated temperature var-
iations can have an amplitude of 5–101C in the North
Atlantic; they can take place in less than a century
(hence the term ‘abrupt climate change’), and last for
several centuries. Methane contents of ice cores also
record these millennial variations, which indicates
large changes in climate conditions at the surface of the
planet.

When the marine and ice records are put into
perspective, they highlight the features of Dansgaard–
Oeschger (DO) oscillations during the last ice age,

which are, on occasion, accompanied by a Heinrich
event (HE) (Figure 4).

Modeling studies focused on climate instabilities
driven by ice sheet oscillations. The ice sheet oscilla-
tions were controlled by albedo and precipitation
feedbacks, or by basal melting, and the models could
predict the typical periodicity of HEs, i.e., around
7000 years. Severalmodeling groupshave also pointed
to the existence of multiple states of the ocean
thermohaline circulation, which can be destabilized
by freshwater perturbations. Thus it is very probable
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that the ‘fast’ climate oscillations during the last ice age
involved interactions between:

� ice sheets, because they are the main suspect for a
sudden freshwater input and have a large impact on
planetary albedo;

� the oceans; the thermohaline circulation is a main
conveyor of heat from the Southern Hemisphere to
the Northern Hemisphere; shutting it off would
have a large impact on climate;

� the atmosphere, which responds almost instantly,
but feeds the ice sheets with snow, so that they can
grow again, and affects the ocean surface conditions
with the hydrologic cycle.

The variety (or hierarchy) of models for such interac-
tions is described elsewhere (Coupled Ocean–Atmos-

phere Models). Up to now, only simplified models are
able to simulate sequences ofDO cycles, mainly due to
computer limitations.

Dynamics

The prominent cycles around 7 and 1.5 kyr of the last
ice age were revealed by spectral analyses (see Data
Analysis: Time Series Analysis) of high-resolution
records. It is important to note that the distances
between two successive DO oscillations or HEs do
vary so that there is no strict periodicity in any record.
However, the fast events are more frequent towards
the end of the last ice age. Thus, this oscillatory
behavior is not stationary through time, and the
frequency of the DO events seems to be connected to
the size of the ice sheets.
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One of the accepted scenarios for HE variations is
that a freshwater input, due to iceberg discharges,
slows down the thermohaline ocean circulation, by
lightening the surface waters and hindering their
sinking in the North Atlantic. The direct effect of
this collapse is that the latitudinal heat transport is
lowered and induces a cooling of the high latitudes of
theNorthernHemisphere. Since the atmosphere has to
take over some of the heat transport, this increases the
storminess, which can be seen in the dust content and
some chemical species in the Greenland ice cores. This
pattern creates an anomalously high latitudinal tem-
perature gradient that flushes suddenly when the fresh
water dilutes and creates a suddenwarming. This cycle
then resumes every 7000 years, as the ice sheet grows
again to cool the surface temperature. This mecha-

nism, illustrated in Figure 5, explains the sawtooth
shape of temperature variations, with slow cooling
and fast warming. Although there are no definite
proofs for such a scenario, it is well supported by data
from ice and marine cores with the caveat of their
uncertain chronologies. The DO oscillations occur
roughly every 1500 years and have similar climatic
effects, although the driving force might be other ice
sheet instabilities or enhanced precipitation affecting
the freshwater balance in the North Atlantic.

An important question is whether the HE or DO
variations are to be seen in the Southern Hemisphere,
or, in general, how the two hemispheres behave during
the last ice age. Observations from high-resolution
cores show that both hemispheres do have distinct
behavior during the last ice age, the southern high

Surface temperature

1: Ice sheet buildup

3: THC recovery

2: Iceberg discharge
(Heinrich event )
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Figure 5 Schematic of climate variations during an HE. The left side illustrates a scenario of Laurentide ice sheet variations, with (1) a

slowprogressivegrowthdue to snowaccumulation anda reduced thermohaline circulation, (2) an icebergsurgedue to abreakdownof the

ice sheet, and a collapse of the ocean circulation, and (3) an abrupt recovery of the ocean circulation after the fresh water is diluted in the

ocean. The right side shows how the three steps influence the temperature of the high latitudes of the Northern Hemisphere.
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latitudes exhibiting lower variance variability and
fewer fast events. For instance, when ice core records
from both hemispheres are put on a common time
scale through their methane content, the resulting
temperature records are in antiphase with each other,
and only the most prominent variations in the North-
ern Hemisphere seem to have a counterpart in the
Southern Hemisphere.

In their model simulation, Ganopolski and
Rahmstorf estimated the response of the Southern
Hemisphere temperature to periodic freshwater
perturbations in the North Atlantic, and found the
characteristic triangular response in the Southern
Hemisphere with an antiphased sawtooth (slow cool-
ing and fast warming) behavior in the Northern
Hemisphere. The mechanism is that when the ther-
mohaline overturning circulation conveys less heat
from the south to the north, the NorthernHemisphere
cools and hence the Southern Hemisphere starts to
warmup. Then,when the THC resumes, theNorthern
Hemisphere warms up suddenly, pumping heat from
the south, which eventually cools down. This theoret-
ical approach emphasizes the existence of climate
thresholds, and the implied jumps between multiple
equilibria, and justifies the ‘seesaw’ mechanism of
the THC.

The dynamics that control this pseudo-cycle is still
debated in the paleoclimate community. From a
dynamical system standpoint, it can be viewed as:

� An oscillator emerging from a Hopf bifurcation (or
several bifurcations) from an equilibrium climate
(see Climate Variability: Nonlinear Aspects). This
view is mainly motivated by the analysis of peaks in
the frequency domain and by a possible formulation
of climate variations with standard energy balance
differential equations.

� A stochastic resonance between two or more states
(cold stadials and warmer interstadials). The ra-
tionale of this theory is that climate models gener-
ally yield two stable states, and varying a parameter
like the freshwater input in the North Atlantic can
induce abrupt changes from one state to the other.
The data also point to the existence of a finite
number of states between which the climate system
wanders.

� An externally forced system with a periodicity near
1500 years. Although known quasi-periodic solar
forcings would have very little direct impact on the
energy balance of the planet, there is a growing body
of evidence that solar activity has occasional good
correlation with climate records.

While these scenarios come from very different math-
ematical and physical grounds, it is probable that

glacial variability is a mixture of the three since the
chronology of events is never systematically the same
from one DO event to another. The main caveat for a
‘one-theory’ explanation is the inherent finiteness of
the last ice age and the general unavailability – at
present – of high-resolution data for the previous ice
ages, so that a statistical significance is always difficult
to assess.

Although it is believed that thewarming after anHE
takes place in less than one century, centennial climate
variability (see Climate Variability: Decadal to Cen-
tennial Variability) is mainly seen in Greenland ice
cores and is barely observed in marine cores. Thus
there is still a gap to fill between the scale resolved by
instrumental and paleoclimatic records.

Perspectives: Unraveling Earth’s
Internal Climatic Feedbacks

The discovery, in the 1990s, that climate did change
abruptly during glacial times independent of orbital
changes (DO events, HEs) had profound implications
on our understanding of the dynamics of glacial–
interglacial cycles. Indeed, ice age cycles were thought
to be linked essentially to the progressive buildup and
shrinking of the Northern Hemisphere continental ice
sheets. Because of the slowly changing albedo and
topography, the Earth’s climate was assumed to
change accordingly. The discovery that it changed at
considerably much higher (sub-Milankovitch) fre-
quencies has revealed a much richer dynamics than
previously suspected. In particular, it is now conceiv-
able that profound ocean–atmosphere reorganiza-
tions did affect the ice sheet mass balance, more than
the opposite, and the link between insolation and
global continental ice volume may consequently be
much more complex than a simple balance of energy
and snow at high northern latitudes.

Considerable progress has been achieved recently, in
particular with the use of different ‘proxies’ on the
same paleoenvironmental records, and with the in-
creasing analytical resolution. With these details, it is
now necessary to better define a ‘glacial maximum’ as
the period of maximal continental ice volume, and no
more as a period of coldest temperatures. It actually
turns out that the LGMwas a period of relatively mild
conditions, between HE2 and HE1 which were much
colder, at least in the Northern Hemisphere. Similarly,
it is important to define ‘deglaciations’, or ‘glacial
inception’, with respect to changes in ice volume, and
not in temperature or other climatic parameters,
which are not necessarily global in nature. With all
this new detailed information, a dynamical picture of
past climatic changes is slowly emerging.
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A crucial observation in this respect is the relative
timing of events associated with the terminations.
Indeed, marine core data as well as ice core data have
shown that the Southern Ocean and Antarctic warm-
ings precede theNorthernHemisphere deglaciation by
several thousands of years. The Vostok ice core has
furthermore recorded the variations of atmospheric
CO2 concentration over the last four climatic cycles,
which are closely parallel to the Antarctic temperature
changes. Based on these observations and many
others, it can be argued that warming was well under
way at both poles, andmaybe globally, before ice sheet
disintegration. Indeed, the obliquity forcing is sym-
metric and tends to warm both poles simultaneously.
The increasing CO2 levels will furthermore warm the
planet on a global scale. Terminations appear indeed
to be associated with these Southern Ocean war-
ming events and CO2 increases, much more than to

remarkable northern latitude summer insolation
events. Unfortunately, there is yet no explanation for
the differences between glacial and interglacial at-
mospheric CO2 levels. This problem is probably the
major missing piece of the glacial cycle puzzle.

Still, threshold phenomena provide a possible
explanation for most of the peculiarities cited above.
It therefore provides a conceptual framework useful
for further investigations. Indeed, if thresholds and
hysteresis are assumed to exist, then it is possible to
formulate a simple piecewise linear model of glacial
cycles (Figure 6). Though this kind of model does not
provide any clue on the physical processes involved, it
demonstrates that the glacial cycles of the late Qua-
ternary are best described as relaxation oscillations.
This corresponds to very different stability properties
for the Earth system: the classical paradigm was
corresponding to a forced oscillatory behavior around
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some basic equilibrium,while the newly suggested one
involves a stability domain defined by boundaries, or
thresholds. This last concept appears to explain more
accurately the discontinuous nature of the geological
history.

See also

Climate Variability: Decadal to Centennial Variability;
Nonlinear Aspects.CoupledOcean–AtmosphereMod-
els. Data Analysis: Time Series Analysis. Ice Ages
(Milankovitch Theory). Isotopes, Stable. Ocean Cir-
culation: Thermohaline Circulation. Paleoclimatology:
Ice Cores; Varves. Weather Regimes and Multiple
Equilibria.
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Introduction

The global climate system is composed of a number of
subsystems F atmosphere, biosphere, cryosphere,
hydrosphere, and lithosphere F each of which has a
distinct characteristic time, from days and weeks to
centuries and millennia. Each subsystem, moreover,
has its own internal variability, all other things being
constant, over a fairly broad range of time scales.
These ranges overlap between one subsystem and
another. The interactions between the subsystems thus
give rise to climate variability on all time scales.

We outline here the rudiments of the way in which
dynamical systems theory is starting to provide an
understanding of this vast range of variability. Such an
understanding proceeds through the study of succes-
sively more complex flow patterns. These spatio-
temporal patterns are studied within narrower ranges
of time scales, such as intraseasonal, interannual,
interdecadal and multimillennial; each of these fre-
quency bands is covered in a separate article of this
Encyclopedia. The main results of dynamical systems
theory that are important for the study of climate
involve essentially bifurcation theory and the ergodic
theory of dynamical systems.

In the next section, we describe the climate system’s
dominant balance between incoming solar radiation
and outgoing terrestrial radiation. This balance
is consistent with the existence of multiple equilibria
of surface temperatures. Such multiple equilibria
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are also present for other balances of climatic
actions and reactions. Thus, on the intraseasonal
time scale, the thermal driving of the mid-latitude
westerly winds is countered by surface friction
and mountain drag. Multiple equilibria typically arise
from saddle-node bifurcations of the governing equa-
tions. Transitions from one equilibrium to another
may result from small and random pushes, a typical
case of minute causes having large effects in the long
term.

In the following section, we sketch the ocean’s
overturning circulation between cold regions, where
water is heavier and sinks, and warm regions, where it
is lighter and rises. The effect of temperature on the
density and, hence themotion, of thewatermasses is in
competition with the effect of salinity: increases in
density, through evaporation and brine formation,
compete further with decreases in salinity and, hence,
in density through precipitation and river runoff.
These competing effects can also give rise to two
distinct equilibria. In the present-day oceans, a ther-
mohaline circulation prevails, in which the tempera-
ture effects dominate. In the remote past, about 50My
ago, a halothermal circulation may have obtained,
with salinity effects dominating. In a simplified math-
ematical setting, these two equilibria arise by a
pitchfork bifurcation that breaks the problem’smirror
symmetry.

On shorter time scales, of decades to millennia,
oscillations of intensity and spatial pattern in the
thermohaline circulation seem to be the dominant
mode of variability. We show how interdecadal
oscillations in the ocean’s circulation arise by Hopf
bifurcation.

Energy-Balance Models and the
Modeling Hierarchy

The methods of dynamical systems theory were
applied first to simple models of atmospheric and
oceanic flows, starting about 40 years ago. More
powerful computers now allow their application to
fairly realistic and detailed models of the atmosphere,
the ocean, and the coupled atmosphere–ocean system.
We start, therefore, by presenting such a hierarchy of
models.

This presentation is interwoven with that of the
successive bifurcations that lead from simple to more
complex solution behavior for each climate model.
Useful tools for comparing model behavior across the
hierarchy and with observations are provided by
ergodic theory. Among these, advanced methods for
the analysis and prediction of univariate and multi-
variate time-series play an important role.

Radiation Balance and Energy-Balance Models
(EBMs)

At present, the most complete hierarchy is for atmos-
pheric models. Atmospheric models were originally
developed for weather simulation and prediction on
the time scale of hours to days. Currently they serveF
in a stand-alonemode or coupled to oceanic and other
models F to address climate variability on all time
scales.

The first rung of the modeling hierarchy for the
atmosphere is formed by zero-dimensional (0D)
models; the number of model dimensions, from zero
to three, refers to the number of independent space
variables used to describe themodel domain, that is, to
physical-space dimensions. Such 0Dmodels essentially
attempt to follow the evolution of global surface-air
temperature �TT owing to changes in global radiative
balance, as in eqns [1a, b, c].

c
d�TT

dt
¼ Ri � Ro ½1a�

Ri ¼ mQ0½1� að�TTÞ� ½1b�

Ro ¼ smð�TTÞ�TT4 ½1c�
Here Ri and Ro are respectively incoming solar
radiation and outgoing terrestrial radiation. The
heat capacity c is that of the global atmosphere,
plus that of the global ocean or some fraction thereof,
depending on the time scale of interest: one
might include in c only the ocean mixed layer
when interested in subannual time scales but the entire
oceanwhen studying paleoclimate. The rate of change
of �TT with time t is given by d�TT=dt; Q0 is the solar
radiation received at the top of the atmosphere; s is the
Stefan–Boltzmann constant; and m is an insolation
parameter, equal to unity for present-day conditions.
To have a closed, self-consistent model, the planetary
reflectivity or albedo a and greyness factor m have to
be expressed as functions of �TT; m ¼ 1 for a perfectly
black body and 0omo1 for a grey body like the
planet Earth.

There are two kinds of one-dimensional (1D)
atmospheric models, for which the single spatial
variable is latitude or height, respectively. The former
are so-called energy-balance models (EBMs), which
consider the generalization of the model [1] for the
evolution of surface-air temperature T ¼ Tðx; tÞ, say,
as in eqn [2].

cðxÞ qT
qt

¼ Ri � Ro þD ½2�

Here the terms on the right-hand side can be functions
of the meridional coordinate x (latitude, co-latitude,
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or sine of latitude), aswell as of time t and temperature
T. The horizontal heat flux term D expresses heat
exchange between latitude belts; it typically contains
first and second partial derivatives ofT with respect to
x. Hence the rate of change of local temperature T
with respect to time also becomes a partial derivative,
qT=qt.

The first striking results of theoretical climate
dynamics were obtained in showing that eqn [2] could
have two stable steady-state solutions, depending on
the value of the insolation parameter m (see eqn [1b]).
This multiplicity of stable steady states, or physically
possible ‘climates’ of our planet, can be explained, in
its simplest form, in the 0D model [1]. The simple
explanation resides in the fact thatF for a fairly broad
range of m values around m ¼ 1:0F the curves for Ri

andRo as a function of �TT intersect in three points. One
of these corresponds to the present climate (highest �TT
value), and another to an ice-covered planet (lowest �TT
value); both of these are stable, while the third
(intermediate �TT value) is unstable. To obtain this
result, it suffices to make two assumptions: (i) that
a ¼ að�TTÞ is a piecewise-linear function of �TT, with high
albedo at low temperature, due to the presence of
snow and ice, and low albedo at high �TT, due to their
absence; and (ii) that m ¼ mð�TTÞ is a smooth, increas-
ing function of �TT that attempts to capture in its
simplest form the ‘greenhouse effect’ of trace gases and
water vapor.

Thebifurcation diagramof such a1DEBMis shown
inFigure 1. It displays themodel’smean temperature �TT
as a function of the fractional change m in the
insolation Q ¼ QðxÞ at the top of the atmosphere.
The S-shaped curve in the figure arises from two back-
to-back saddle-node bifurcations. The normal form of
the first one is given by eqn [3].

.
X ¼ m�X2 ½3a�

HereX stands for a suitably normalized form of �TT and.
X � dX=dt is the rate of change of X, while m is a
parameter that measures the stress on the system,
in particular a normalized form of the insolation
parameter.

The uppermost branch corresponds to the steady-
state solution X ¼ þm1=2 of eqn [3a] and is stable. It
matches ratherwell the Earth’s present-day climate for
m ¼ 1:0; more precisely, the steady-state solution T ¼
Tðx; mÞ of the full 1D EBM (not shown) matches
closely the annual mean temperature profile from
instrumental data over the last century.

The intermediate branch starts out at the left as the
second solution, X ¼ �m1=2 of eqn [3a] and is unsta-
ble. It blends smoothly into the upper branch of a
coordinate-shifted and mirror-reflected version of

[3a], given by eqn [3b].

.
X ¼ m� m0 þ ðX�XoÞ2 ½3b�

This branch, X ¼ X0 þ ðm0 � mÞ1=2, is also un-
stable. Finally, the lowermost branch in Figure 1 is
the second steady-state solution of eqn [3b],
X ¼ X0 � ðm0 � mÞ1=2, and is also stable. It corre-
sponds to an ice-covered planet at the same distance
from the Sun as is the Earth.

The fact that the upper-left bifurcation point (mc,Tc)
in Figure 1 is so close to present-day insolation values
created great concern in the climate dynamics com-
munity in the mid-1970s, when these results were
obtained. Indeed, much more detailed computations
(see below) confirmed that a reduction of about 2–5%
of insolation values would suffice to precipitate Earth
into a ‘deep freeze’. The great distance of the lower-
right bifurcation point (md, Td) from present-day
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insolation values, on the other hand, suggests that one
would have to nearly double atmospheric opacity, say,
for the Earth’s climate to jump back to more comfort-
able temperatures.

Other Atmospheric Processes and Models

The 1D atmospheric models in which the details of
radiative equilibrium are investigatedwith respect to a
height coordinate z (geometric height, pressure, etc.)
are often called radiative-convective models. This
name emphasizes the key role that convection plays in
vertical heat transfer. While these models historically
preceded EBMs as rungs on the modeling hierarchy, it
was only recently shown that they, too, could exhibit
multiple equilibria. The word (stable) ‘equilibrium’,
here and in the rest of this article, refers simply to a
(stable) steady state of the model, rather than a to true
thermodynamic equilibrium.

Two-dimensional (2D) atmospheric models are also
of two kinds, according to the third space coordinate,
which is not explicitly included. Models that resolve
explicitly two horizontal coordinates, on the sphere or
on a plane tangent to it, tend to emphasize the study of
the dynamics of large-scale atmospheric motions.
They often have a single layer or two layers. Those
that explicitly resolve a meridional coordinate and
height are essentially combinations of EBMs and
radiative–convective models and thereby emphasize
the thermodynamic state of the system rather than its
dynamics.

Yet another class of ‘horizontal’ 2D models is the
extension of EBMs to resolve zonal as well as
meridional surface features, in particular land–sea
contrasts. We will see below in discussing Bifurcation
Diagrams forGCMshow such a 2DEBM is usedwhen
coupled to an oceanic model.

Additional types of 1D and 2D atmospheric models
are discussed and references to these and to the types
discussed above are given by Schneider and Dickinson
(1974) and by Ghil and Robertson (2000) (see Further
Reading) along with some of their main applications.
Finally, to encompass and resolve the main atmos-
pheric phenomena with respect to all three spatial
coordinates, general circulation models (GCMs)
occupy the pinnacle of the modeling hierarchy.

The dependence of mean zonal temperature on the
insolation parameter m (the normalized ‘solar con-
stant’) F as obtained for 1D EBMs and shown in
Figure 1 hereFwas confirmed, to the extent possible,
by using a simplifiedGCMcoupled to a ‘swamp’ ocean
model. More precisely, forward integrations with a
GCMcannot confirm the presence of the intermediate,
unstable branch.Norwas it possible in themid-1970s,
when this numerical experiment was done, to reach

the ‘deep-freeze’ stable branch, because of the com-
putational limitations of the GCM. However, the
parabolic shape of the upper branch (which resembles
the present-day climate) near the upper-left bifurca-
tion point in Figure 1 (cf. eqn [3a]) was well supported
by the GCM simulations.

Ghil and Robertson also describe the separate
hierarchies that have grown over the last quarter-
century in modeling the ocean and the coupled ocean–
atmosphere system. More recently, an overarching
hierarchy of Earth-systemmodels has been developing
that encompasses all the subsystems of interest,
atmosphere, biosphere, cryosphere, hydrosphere,
and lithosphere. Eventually, the partial results about
each subsystem’s variability, outlined in this section
and the next, will have to be verified from one rung to
the next of the Earth-system modeling hierarchy.

Interdecadal Oscillations in the
Thermohaline Circulation of the
Oceans

Theory and Simple Models

Historically, the thermohaline circulation (THC) was
first among the major process of the climate system to
be studied using a very simple mathematical model.
Stommel formulated in 1961 a two-box model and
showed that it possessed multiple equilibria.

A sketch of the Atlantic Ocean’s THC and its
interactions with the atmosphere and cryosphere on
long time scales is shown in Figure 2. These interac-
tions can lead to climate oscillations with multimil-
lennial periods, such as the Heinrich events, and are
summarized in the figure’s caption. An equally sche-
matic viewof the global THC is providedby thewidely
known ‘conveyor belt’ diagram; this diagram does not
commonly include the interactions of the THC with
water in both its gaseous and solid phases, which
Figure 2 does include.

Basically, the THC is due to denser water sinking,
lighter water rising, andwater mass continuity closing
the circuit through near-horizontal flow between the
areas of rising and sinking. The effects of temperature
and salinity on the density of the ocean water,
r ¼ rðT; SÞ, oppose each other: the densityrdecreases
with increasing T and increases with increasing S. It is
these two effects that give the thermohaline circulation
its name, from theGreekwords for heat and salinity. In
high latitudes, r increases as thewater loses heat to the
air above and, if sea ice is formed, as the water
underneath is enriched in brine. In low latitudes, r
increases owing to evaporation but decreases owing to
sensible heat flux into the ocean.
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For the present climate, the temperature effect is
stronger than the salinity effect, and ocean water is
observed to sink in certain areas of the high-latitude
North Atlantic and Southern OceanF with very few
and limited areas of deep-water formation elsewhere
Fand to rise everywhere else. Thus, in a thermohaline
regime, T is more important than and hence comes
before S. During some remote geological times, deep
water may have formed in the global ocean near the
Equator; such an overturning circulation of opposite
sign to that prevailing today has been dubbed halo-
thermal (S beforeT). The quantification of the relative
effects ofT and S on the buoyancy of the oceanicwater
masses in high and low latitudes is far from complete,
especially for paleocirculations; the association of the
latter with salinity effects that exceed the thermal ones
is thus rather tentative.

Stommel considered a two-box model, with two
pipes connecting the two boxes. He showed that the
system of two nonlinear, coupled ordinary differential

equations that govern the temperature and salinity
differences between the twowell-mixed boxes has two
stable steady-state solutions, distinguished by the
direction of flow in the upper and lower pipes.
Stommel’s paper was primarily concerned with dis-
tinct local convection regimes, and hence vertical
stratifications, in the North Atlantic and Mediterra-
nean (or Red Sea), say. Today, we mainly think of one
box as representing the low latitudes and the other as
representing the high latitudes in the global THC.

The next step in the hierarchical modeling of the
THC is that of 2D meridional plane models, in which
the temperature and salinity fields are governed by
coupled nonlinear partial differential equations with
two independent space variables: latitude and depth,
say. Given boundary conditions for such a model that
are symmetric about the Equator, as are the equations
themselves, one expects a symmetric solution, in
which water either sinks near the poles and rises
everywhere else (thermohaline) or sinks near the
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Table 1 Thermohaline circulation (THC) oscillations

Time scale Phenomenon Mechanism

Interdecadal 3D, wind-driven1thermohaline circulation Gyre advection; localized surface-density anomalies due to

surface coupling

Centennial Loop-type, Atlantic–Pacific circulation Conveyor-belt advection of high-latitude density anomalies

Millennial Relaxation oscillation, with ‘flushes’ and

superimposed decadal fluctuations

Bottom-water warming, due to high-latitude freshening and its

braking effect

Adapted from Ghil (1994) with permission from Elsevier Science.
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Equator and rises everywhere else (halothermal).
These two symmetric solutions correspond to the
two equilibria of Stommel’s box model of 1961.

In fact, symmetry breaking can occur, leading
gradually from a symmetric two-cell circulation to
an antisymmetric one-cell circulation. In between, all
degrees of dominance of one cell over the other are
possible. A situation lying somewhere between the
two seems to resemble most closely the meridional
overturning diagramof theAtlanticOcean in Figure 2.

This symmetry breaking can be described by a
pitchfork bifurcation:

.
X ¼ mX�X3 ½4�

Here X stands for the amount of asymmetry in the
solution, so thatX ¼ 0 is the symmetric branch, and m
is a parameter that measures the stress on the system,
in particular a normalized formof the buoyancy flux at
the surface. For mo0, the symmetric branch is stable;
for m > 0, the two branches X ¼ �m1=2 inherit its
stability.

In the 2D THC problem, the left cell dominates on
one branch, while the right cell dominates on the
other: for a given value ofm, the two stable steady-state
solutions F on the fX ¼ þm1=2g branch and on the
fX ¼ �m1=2g branch F are mirror images of each
other. The idealized THC in Figure 2, with the North
Atlantic Deep Water extending to the Southern
Ocean’s polar front, corresponds to one of these two
branches. In theory, therefore, a mirror-image circu-
lation, with the Antarctic Bottom Water extending to
the North Atlantic’s polar front, is equally possible.

Bifurcation Diagrams for GCMs

F. Bryan was the first, in 1986, to document transition
from a two-cell to a one-cell circulation in a simplified
ocean GCM with idealized, symmetric forcing. Re-
sults of coupled ocean–atmosphere GCMs, however,
have led to questions about the realism of more than
one stable THC equilibrium. The situation with
respect to the THC’s pitchfork bifurcation (eqn [4])
is thus subtler than it was with respect to Figure 1 for
radiative equilibrium. In the previous section atmos-
pheric GCMs confirmed essentially the EBM results;
the results obtained in climbing the rungs of the
modeling hierarchy for the THC, however, are still in
need of further clarification.

Internal variability of the THCFwith smaller and
more regular excursions than the huge and irregular
jumps associated with bistability F was studied
intensively in the late 1980s and the 1990s. These
studies placed themselves on various rungs of the
modeling hierarchy, from box models through 2D
models, and all the way to ocean GCMs. A summary

of the different kinds of oscillatory variability found in
the latter appears inTable 1. Such oscillatory behavior
seems to match more closely the instrumentally
recorded THC variability, as well as the paleoclimatic
records for the recent geological past, than does
bistability.

The (multi)millennial oscillations interact with
variability in the surface features and processes shown
in Figure 2. Chen andGhil, in particular, studied some
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of the interactions between atmospheric processes
and the THC. They used a so-called hybrid coupled
model, namely, a (horizontally) 2D EBM coupled to a
rectangular-box version of the North Atlantic ren-
dered by a low-resolution ocean GCM. This hybrid
model’s regime diagram is shown in Figure 3A. A
steady state is stable for high values of the coupling
parameter lao or of the EBM’s diffusion parameter d.
Interdecadal oscillations with a period of 40–50 years
are self-sustained and stable for low values of these
parameters.

The self-sustained THC oscillations in question are
characterized by a pair of vortices of opposite sign that
grow and decay in quadrature with each other in the
ocean’s upper layers. Their centers follow each other
anticlockwise through the northwestern quadrant of
the model’s rectangular domain. Both the period and
the spatio-temporal characteristics of the oscillation
are thus rather similar to those seen in a fully coupled
GCM with realistic geometry. The transition from a
stable equilibrium to a stable periodic solution, via
Hopf bifurcation, in this hybrid coupled model, is
shown in Figure 3B.

Concluding Remarks

A complete theory of climate variability, across the
entire range of time scales of interest, is still in the
future. We have shown, though, that powerful con-
ceptual and numerical tools exist to organize the
emerging knowledge so far. The approach described
herein has progressed from its first modest steps F
taken to understand very simple models, almost half a
century ago F to the analysis of the behavior of
atmospheric, oceanic, and coupled GCMs. It is quite
possible that equally large strides forward will be
taken over the lifespan of this Encyclopedia.

See also

Climate Variability: Decadal to Centennial Variability;
Glacial, Interglacial Variations; Seasonal to Interannual
Variability. Global Change: Biospheric Impacts and
Feedbacks; Human Impact of Climate Change; Ozone
Trends; Surface Temperature Trends; Upper Atmospheric
Change. Ocean Circulation: General Processes; Sur-
face–Wind Driven Circulation; Thermohaline Circulation;
Water Types and Water Masses. Paleoclimatology:
Ice Cores; Varves. Weather Regimes and Multiple
Equilibria.
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Introduction

Simultaneous variations in weather and climate over
widely separated points on Earth have long been noted
in the meteorological literature. Such variations are
commonly referred to as ‘teleconnections’. In the
extratropics, teleconnections link neighboring regions
mainly through the transient behavior of atmospheric
planetary-scale waves. Consequently, some regions
may be cooler than average, while thousands of
kilometers away warmer conditions prevail. Though
the precise nature and shape of these structures vary to
some extent according to the statistical methodology
and the data set employed in the analysis, consistent
regional characteristics that identify the most conspic-
uous patterns emerge.

Over the middle and high latitudes of the Northern
Hemisphere (NH), a dozen or so distinct teleconnec-
tion patterns can be identified during boreal winter.
One of the most prominent is the North Atlantic
Oscillation (NAO). The NAO dictates climate varia-
bility from the eastern seaboard of the United States to
Siberia and from theArctic to the subtropical Atlantic.
This widespread influence indicates that the NAO is
more than a just a North Atlantic phenomenon. In
fact, it has been suggested that theNAO is the regional
manifestation of a larger-scale (hemispheric) mode of
variability known as the Arctic Oscillation (AO, see
below). Regardless of terminology, meteorologists for
more than two centuries have noted the pronounced
influence of the NAO on the climate of the Atlantic
basin.

Variations in the NAO are important to society and
to the environment. Through its control over regional
temperature and precipitation variability, the NAO
directly impacts agricultural yields, water manage-
ment activities, and fish inventories, among other
things. TheNAOaccounts formuchof the interannual
and longer-term variability evident in NH surface
temperature, which has exhibited a warming trend
over the past several decades to values that are perhaps
unprecedented over the past 1000 years.

Understanding the processes that govern variability
of the NAO is, therefore, of high priority, especially in
the context of global climate change. This article
defines the NAO and describes its relationship to
variations in surface temperature and precipitation, as
well as its impact on variability in the North Atlantic
Ocean and on the regional ecology. It concludeswith a
discussion of the mechanisms that might influence the
amplitude and time scales of the NAO, including the
possible roles of the stratosphere and the ocean.

What Is the NAO?

Like all atmospheric teleconnection patterns, the
NAO is most clearly identified when time-averaged
data (monthly or seasonal) are examined, since time-
averaging reduces the ‘noise’ of small-scale and
transient meteorological phenomena not related to
large-scale climate variability. Its spatial signature and
temporal variability are most often defined through
the regional sea-level pressure (SLP) field, for which
some of the longest instrumental records exist.

The NAO refers to a north–south oscillation in
atmospheric mass with centers of action near Iceland
and over the subtropical Atlantic from the Azores
across the Iberian Peninsula. Although it is the only
teleconnection pattern evident throughout the year in
the Northern Hemisphere, its amplitude is largest
during boreal winter when the atmosphere is dynam-
ically the most active. During the months December
through March, for instance, the NAO accounts for
more than one-third of the total variance in SLP over
the North Atlantic.

A time-series (or index) of more than 100 years of
wintertime NAO variability and the spatial signature
of the oscillation are shown in Figures 1 and 2. (More
sophisticated and objective statistical techniques, such
as eigenvector analysis, yield time-series and spatial
patterns of average winter SLP variability very similar
to those shown inFigures 1 and2).Differences ofmore
than 15 hPa occur across the North Atlantic between
the two phases of the NAO. In the so-called positive
phase, higher than normal surface pressures south of
551N combine with a broad region of anomalously
low pressure throughout the Arctic. Because air flows
counterclockwise around low pressure and clockwise
around high pressure in the Northern Hemisphere,
this phase of the oscillation is associated with stronger
than average westerly winds across the middle lati-
tudes of the Atlantic onto Europe, with anomalous
southerly flow over the eastern United States and
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anomalous northerly flow across western Greenland,
the Canadian Arctic, and the Mediterranean.

TheNAO is also readily apparent inmeteorological
data throughout the depth of the troposphere, and
its variability is significantly correlated with changes
in the strength of the winter polar vortex in the
NH stratosphere. Within the lower stratosphere,
the leading pattern of geopotential height variability
is also characterized by a see-saw in mass between the
polar cap and the middle latitudes, but with a much

more zonally symmetric (or annular) structure than in
the troposphere. When heights over the polar region
are lower than normal, heights at nearly all longitudes
in middle latitudes are higher than normal. In this
phase, the stratospheric westerly winds that encircle
the pole are enhanced and the polar vortex is ‘strong’
and anomalously cold. It is this annular mode of
variability that has been termed the Arctic Oscillation
(AO).

The signature of the stratospheric AO in winter SLP
data, however, looks very much like the anomalies
associated with the NAO, with centers of action over
the Arctic and the Atlantic (Figure 2). The ‘annular’
character of the AO in the troposphere, therefore,
reflects the vertically coherent fluctuations throughout
the Arctic more than any coordinated behavior in the
middle latitudes outside of the Atlantic basin. That the
NAO and AO reflect essentially the same mode of
tropospheric variability is emphasized by the fact that
their time-series are nearly identical, with differences
depending mostly on the details of the analysis
procedure.

There is little evidence that the NAO (or AO) varies
on any preferred time scale (Figure 1). Large changes
can occur fromonewinter to the next, and there is also
a considerable amount of variability within a given
winter season. This is consistent with the notion that
much of the atmospheric circulation variability in the
form of the NAO arises from processes internal to the
atmosphere, inwhich various scales ofmotion interact
with one another to produce random (and thus
unpredictable) variations. On the other hand, there
are also periods when anomalous NAO-like circula-
tion patterns persist overmany consecutivewinters. In
the Icelandic region, for instance, SLP tended to be
anomalously low during winter from the turn of the
century until about 1930 (positive NAO index), while
the 1960s were characterized by unusually high
surface pressure and severe winters from Greenland
across northern Europe (negative NAO index). A
sharp reversal occurred over the following 30 years,
with strongly positive NAO index values since 1980
and SLP anomalies across the North Atlantic and
Arctic that resemble those in Figure 2. In fact, the
magnitude of the recent upward trend is unprecedent-
ed in the observational record and, based on recon-
structions using paleoclimate andmodel data, perhaps
over the past several centuries as well. Whether such
low-frequency (interdecadal) NAO variability arises
from interactions of the North Atlantic atmosphere
with other, more slowly varying components of the
climate system (such as the ocean), whether the recent
upward trend reflects a human influence on climate, or
whether the longer time scale variations in the
relatively short instrumental record simply reflect
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finite sampling of a purely random process, are topics
of considerable current interest.

Impacts of the NAO

Temperature

The NAO exerts a dominant influence on winter-
time temperatures across much of the Northern
Hemisphere. Surface air temperature and sea surface
temperature (SST) across wide regions of the
North Atlantic Ocean, North America, the
Arctic, Eurasia, and the Mediterranean are signifi-
cantly correlated with NAO variability. (Sea surface
temperatures are used to monitor surface air temper-
ature over the oceans because intermittent sampling
is a major problem and SST has much greater
persistence.) Such changes in surface temperature
(and related changes in rainfall and storminess)
can have significant impacts on awide range of human
activities as well as on marine and terrestrial
ecosystems.

When theNAO index is positive, enhancedwesterly
flow across the North Atlantic during winter moves
relativelywarm (andmoist) maritime air overmuch of
Europe and far downstream across Asia, while
stronger northerlies overGreenland and north-eastern
Canada carry cold air southward and decrease land
temperatures and SST over the north-west Atlantic
(Figure 3). Temperature variations over North Africa
and the Middle East (cooling), as well as North

America (warming), associated with the stronger
clockwise flow around the subtropical Atlantic high-
pressure center are also notable.

The pattern of temperature change associated with
the NAO is important. Because the heat storage
capacity of the ocean is much greater than that of
land, changes in continental surface temperatures are
much larger than those over the oceans, so they tend to
dominate average NH (and global) temperature var-
iability. Given especially the large and coherent NAO
signal across the Eurasian continent from the Atlantic
to the Pacific (Figure 3), it is not surprising that NAO
variability explains about one-third of the NH inter-
annual surface temperature variance during winter.

The strength of the link between the NAO and NH
temperature variability has also added to the debate
over our ability to detect and distinguish between
natural and anthropogenic climate change. Since the
early 1980s, winter temperatures over much of North
America and Eurasia have been considerably warmer
than average, while temperatures over the northern
oceans have been slightly colder than average. This
pattern, which has contributed substantially to the
well-documented warming trend in NH and global
temperatures over recent decades, is quite similar to
winter surface temperature changes projected by
computer models forced with increasing concentra-
tions of greenhouse gases and aerosols. Yet, it is clear
from the above discussion that a significant fraction of
this temperature change signal is associated with the
recent upward trend in the NAO (Figures 1 and 3).
How anthropogenic climate change might influence
modes of natural climate variability such as the NAO,
and the relationships between increased radiative
forcing and interdecadal variability of these modes
remain central research questions.

Precipitation and Storms

Changes in the mean circulation patterns over the
North Atlantic are accompanied by changes in the
intensity and number of storms, their paths, and their
associated weather. Here, the term ‘storms’ refers to
atmospheric disturbances operating on time scales of
about a week or less. During winter, a well-defined
storm track connects the North Pacific and North
Atlantic basins,withmaximum storm activity over the
oceans. The details of changes in storminess differ
depending on the method of analysis and whether one
focuses on surface or upper-air features. Generally,
however, positive-NAO index winters are associated
with a northward shift in the Atlantic storm activity,
with enhanced activity from southern Greenland
across Iceland into northern Europe and a modest
decrease in activity to the south. The latter is most
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noticeable from the Azores across the Iberian Penin-
sula and the Mediterranean. Positive-NAO winters
are also typified by more intense and frequent storms
in the vicinity of Iceland and the Norwegian Sea.

The ocean integrates the effects of storms in the
form of surface waves, so that it exhibits a marked
response to long-lasting shifts in the storm climate.
The recent upward trend toward more positive-NAO
indexwinters has been associatedwith increasedwave
heights over the north-east Atlantic and decreased
wave heights south of 401N. Such changes have
consequences for the operation and safety of shipping,
offshore industries, and coastal development.

Changes in themean flow and storminess associated
with swings in the NAO are also reflected in pro-
nounced changes in the transport and convergence of
atmospheric moisture and, thus, the distribution of
evaporation and precipitation. Evaporation (E) ex-
ceeds precipitation (P) over much of Greenland and
the Canadian Arctic during high-NAO index winters
(Figure 4), where changes between high- and low-
NAO index states are on the order of 1mm day� 1.
Drier conditions of the same magnitude also occur
over much of central and southern Europe, the
Mediterranean and parts of the Middle East, whereas
more precipitation than normal falls from Iceland
through Scandinavia.

This pattern, together with an upward trend in the
NAO index since the late 1960s (Figure 1), is consist-
ent with recent observed changes in precipitation over
much of the Atlantic basin. One of the few regions of
the world where glaciers have not exhibited a retreat
over the past several decades is in Scandinavia, where
more than average amounts of precipitation have been
typical of many winters since the early 1980s. In
contrast, over the Alps, snow depth and duration in
recent winters have been among the lowest recorded
this century, and the retreat of Alpine glaciers has been
widespread. Severe drought has persisted throughout

parts of Spain and Portugal as well. As far east as
Turkey, river runoff is significantly correlated with
NAOvariability. There is also some observational and
modeling evidence of a declining precipitation rate
over much of the Greenland Ice Sheet over the past
two decades, although measurement uncertainties are
large.

Ocean Variability

It has longbeen recognized that fluctuations in SSTand
the strength of theNAOare related, and there are clear
indications that the North Atlantic Ocean varies
significantly with the overlying atmosphere. The
leading pattern of SST variability during winter
consists of a tripolar structure marked, in one phase,
by a cold anomaly in the subpolar North Atlantic, a
warm anomaly in the middle latitudes centered off of
Cape Hatteras, and a cold subtropical anomaly
between the equator and 301N. This structure sug-
gests that the SST anomalies are driven by changes in
the surface wind and air–sea heat exchanges associat-
ed with NAO variations. The relationship is strongest
when the NAO index leads an index of the SST
variability by severalweeks, which highlights thewell-
known result that large-scale SST over the extratrop-
ical oceans responds to atmospheric forcing on
monthly and seasonal time scales. Over longer peri-
ods, persistent SSTanomalies also appear to be related
to persistent anomalous patterns of SLP (including the
NAO), although the mechanisms that produce SST
changes on decadal and longer time scales remain
unclear. Such fluctuations could primarily be the local
oceanic response to atmospheric decadal variability.
On the other hand, nonlocal dynamical processes in
the ocean could also be contributing to the SST
variations.

Subsurface ocean observations more clearly depict
long-term climate variability, because the effect of the
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annual cycle and month-to-month variability in the
atmospheric circulation decays rapidly with depth.
These measurements are much more limited than
surface observations, but over the North Atlantic they
too indicate fluctuations that are coherent with the
winter NAO index to depths of 400m.

The ocean’s response to NAO variability also
appears to be evident in changes in the distribution
and intensity ofwinter convective activity in theNorth
Atlantic. The convective renewal of intermediate and
deep waters in the Labrador Sea and the Greenland/
Iceland/Norwegian (GIN) Seas contributes signifi-
cantly to the production and export of North Atlantic
Deep Water and, thus, helps to drive the global
thermohaline circulation. The intensity of winter
convection at these sites is characterized not only by
large interannual variability but also by interdecadal
variations that appear to be synchronized with vari-
ations in the NAO (Figure 1). Deep convection over
the Labrador Sea, for instance, was at its weakest and
shallowest in the postwar instrumental record during
the late 1960s. Since then, Labrador Sea Water has
become progressively colder and fresher, with intense
convective activity to unprecedented ocean depths
(42300m) in the early 1990s. In contrast, warmer
and saltier deep waters in recent years are the result of
suppressed convection in the GIN Seas, whereas
intense convection was observed there during the
late 1960s.

There has also been considerable interest in the
occurrence of low-salinity anomalies that propagate
around the subpolar gyre of the North Atlantic. The
most famous example is the Great Salinity Anomaly
(GSA). The GSA formed during the extreme negative
phase of the NAO in the late 1960s, when clockwise
flow around anomalously high pressure over Green-
land fed record amounts of fresh water through the
Denmark Strait into the subpolar North Atlantic
ocean gyre. There have been other similar instances,
and statistical analyses have revealed that these
propagating salinity modes are closely connected to
a pattern of atmospheric variability strongly resem-
bling the NAO.

Sea Ice

The strongest interannual variability of Arctic sea ice
occurs in the North Atlantic sector. The sea ice
fluctuations display a see-saw in ice extent between
the Labrador and Greenland Seas. Strong interannual
variability is evident in the sea ice changes over the
North Atlantic, as are longer-term fluctuations includ-
ing a trend over the past 30 years of diminishing
(increasing) ice concentration during boreal winter
east (west) of Greenland. Associated with the sea ice

fluctuations are large-scale changes in SLP that closely
resemble the NAO.

When theNAO is in its positive phase, the Labrador
Sea ice boundary extends farther south, while the
Greenland Sea ice boundary is north of its clima-
tological extent. Given the implied surface wind cha-
nges (Figure 2), this is qualitatively consistent with
the notion that sea ice anomalies are directly forced by
the atmosphere, either dynamically via wind-driven
ice drift anomalies or thermodynamically through
surface air temperature anomalies (Figure 3). The
relationship between theNAO index (Figure 1) and an
index of the North Atlantic ice variations is indeed
strong, although it does not hold for all individual
winters. This last point illustrates the importance of
the regional atmospheric circulation in forcing the
extent of sea ice.

Ecology

Changes in the NAO have a wide range of effects on
North Atlantic ecosystems. Temperature is one of the
primary factors, along with food availability and
spawning grounds, in determining the large-scale
distribution pattern of fish and shellfish. Changes in
SST and winds associated with changes in the NAO
have been linked to variations in the production of
zooplankton, aswell as to fluctuations in several of the
most important fish stocks across the North Atlantic.
This includes not only longer-term changes associated
with interdecadal NAO variability, but also inter-
annual signals.

Over land, fluctuations in the strength of the NAO
have been linked to variations in plant phenology.
In Norway, for example, most plant species have
been blooming from2 to4weeks earlier in recent years
because of increasingly warm and wet winters,
and many species have been blooming longer. Winter
climate directly impacts the growth, reproduction
and demography of many animals, as well. European
amphibians and birds have been breeding earlier
over the past 2–3 decades, and these trends
have been attributed to earlier growing seasons
and increased forage availability. Variations in the
NAOare also significantly correlatedwith the growth,
development, fertility, and demographic trends of
large mammals from North America to northern
Europe, such as northern ungulates and Canadian
lynx.

What Mechanisms Govern NAO
Variability?

Although the NAO is an internal mode of variability
of the atmosphere, surface, stratospheric or
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anthropogenic processes may influence its phase and
amplitude. At present there is no consensus on the
process or processes that most influence the NAO,
especially on long (interdecadal) time scales. It is quite
possible that NAO variability is affected by one or
more of the mechanisms described below.

Atmospheric Processes

Atmospheric general circulation models (AGCMs)
consist of a systemof equations that describe the large-
scale atmospheric balances of momentum, heat, and
moisture, with schemes that approximate small-scale
processes such as cloud formation, precipitation, and
heat exchange with the sea surface and land. AGCMs
provide strong evidence that the basic structure of the
NAO results from the internal, nonlinear dynamics of
the atmosphere. The observed spatial pattern and
amplitude of the NAO are well simulated in AGCMs
forced with climatological annual cycles of insolation
and SST, as well as fixed atmospheric trace–gas
composition. The governing dynamical mechanisms
are interactions between the time-mean flow and
the departures from that flow. Such intrinsic atmo-
spheric variability exhibits little temporal coherence
and, indeed, the time scales of observed NAO
variability (Figure 1) do not differ significantly from
this reference.

A possible exception is the interdecadal NAO
variability, especially the strong trend toward the
positive index polarity of the oscillation over the past
30 years. This trend exhibits a high degree of statistical
significance relative to the background interannual
variability in the observed record; moreover, multi-
century AGCM experiments like those described
above do not reproduce interdecadal changes of
comparable magnitude. A possible source of the trend
could be through a connection to processes that have
affected the strength of the atmospheric circulation in
the lower stratosphere.

During winters when the stratospheric wester-
lies are enhanced, the NAO tends to be in its positive
phase. There is a considerable body of evidence
to support the notion that variability in the
troposphere can drive variability in the stratosphere.
However, the opposite view is much less commonly
held.

The atmospheric response to strong tropical vol-
canic eruptions provides some evidence for a strato-
spheric influence on the Earth’s surface climate.
Volcanic aerosols act to enhance north–south temper-
ature gradients in the lower stratosphere by absorbing
solar radiation in lower latitudes. In the troposphere,
the aerosols exert only a very small direct influence.
Yet the observed response following eruptions is

not only lower geopotential heights over the pole
with stronger stratospheric westerlies, but also a
strong, positive NAO-like signal in the tropospheric
circulation.

Reductions in stratospheric ozone and increases in
greenhouse gas concentrations also appear to enhance
the meridional temperature gradient in the lower
stratosphere, leading to a stronger polar vortex. It is
possible, therefore, that the upward trend in the NAO
index in recent decades (Figure 1) is associated with
trends in either or both of these quantities. Indeed, a
decline in the amount of ozone poleward of 401N has
been observed during the last two decades, and the
stratospheric polar vortex has become colder and
stronger.

Ocean Forcing of the Atmosphere

In the extratropics, it is clear that the atmospheric
circulation is the dominant driver of upper ocean
thermal anomalies. A long-standing issue, however,
has been the extent to which anomalous extratropical
SST feeds back to affect the atmosphere. Most
evidence suggests that this effect is quite small com-
pared to internal atmospheric variability. Neverthe-
less, the interaction between the ocean and atmos-
phere could be important for understanding the details
of the observed amplitude of the NAO, its interde-
cadal variability, and the prospects for meaningful
predictability.

While intrinsic atmospheric variability is random in
time, theoretical and modeling evidence suggests that
the ocean can respond to it withmarked persistence or
even oscillatory behavior. On seasonal and interannu-
al time scales, for example, the large heat capacity of
the upper ocean can lead to slower changes in SST
relative to the faster, stochastic atmospheric forcing.
On longer time scales, SST observations display a
myriad of variations. Middle- and high-latitude SSTs
over theNorthAtlantic, for example,were colder than
average during the 1970s and 1980s, but warmer than
average from the 1930s through the 1950s. Within
these periods, shorter-term variations in SST are also
apparent, such as a dipole pattern that fluctuates on
approximately decadal time scales with anomalies of
one sign east of Newfoundland, and anomalies of
opposite polarity off the south-east coast of the United
States.

A key to whether changes in the state of the NAO
reflect these variations in the state of the ocean surface
is the sensitivity of the atmosphere to middle- and
high-latitude SST and upper ocean heat content
anomalies.Most AGCMstudies showweak responses
to extratropical SST anomalies, with sometimes con-
tradictory results. Yet, some AGCMs, when forced
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with the time history of observed, global SSTs and sea
ice concentrations over the past 50 years or so, show
modest success in reproducing aspects of the observed
NAO behavior, especially its interdecadal fluctuations
(Figure 1).

Such results do not necessarily imply that the
extratropical ocean is behaving in anything other
than a passive manner. It could be, for instance, that
long-term changes in tropical SSTs force a remote
atmospheric response over the North Atlantic, which
in turn drives changes in extratropical SSTs and sea ice.
Some model studies indicate a sensitivity of the North
Atlantic atmosphere to tropical SST variations, in-
cluding variations over the tropical Atlantic that are
substantial on both interannual and interdecadal time
scales.

The response of the extratropical North Atlantic
atmosphere to changes in tropical and extratropical
SST distributions, and the role of land processes
and sea ice in producing atmospheric variability,
are problems that are currently being addressed.
Until these are better understood, it is difficult
to evaluate the realism of more complicated scenarios
that rely on truly coupled interactions between
the atmosphere, ocean, land, and sea ice to produce
North Atlantic climate variability. It is also dif-
ficult to evaluate the extent to which interannual
and longer-term variations of the NAO might be
predictable.

See also

Antarctic Climate. Climate Variability: Decadal to
Centennial Variability; Seasonal to Interannual Variability.
World Climate Research Program.
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Introduction

Seasonal variability and interannual variability are at
the short time scale or ‘short-term’ end of the spectrum
of climate variability. Seasonal and longer fluctuations
are considerably slower than typical ‘weather’, i.e.,
much slower than the time scale of growth and decay
of individual clouds or synoptic weather systems. The
time scales of such variability aremuch longer than the
deterministic limit of weather prediction determined
from chaos theory, thought to be several weeks.
Accordingly, efforts to understand and predict these
short-term climate fluctuations must depend on
knowledge of persistent or predictable nonatmos-
pheric forcing.

The primary forcing for seasonal variability comes
from the well-understood annual periodicity of inso-
lation associated with Earth’s orbit around the Sun.
Seasonal insolation changes directly force temperature
fluctuations with periods corresponding to the inso-
lation variability. Thermal inertia in the climate
system causes the seasonal cycle of temperature to
lag somewhat behind the seasonal cycle of insolation.
Other climate variables, such as pressure, humidity,
and precipitation, vary seasonally as the result of
changes in the large-scale atmospheric and oceanic
circulations that in turn are associated with the
seasonal variability of temperature and temperature
gradients. In a few places, notably the tropical Pacific,
atmospheric or oceanic circulation systems respond to
insolation variability in ways that create seasonal
cycles of temperature and precipitation that do not
correspond directly to the solar forcing.

Interannual variability can be defined in terms of the
year-to-year fluctuations in seasonal (or monthly)

CLIMATE VARIABILITY / Seasonal and Interannual Variability 445



averages of temperature, precipitation, or some other
climate variable about the average value determined
by a long-term (generally 30-year) climatological
record. Forcing associated with interactions between
the atmosphere and upper ocean account for a large
fraction of interannual variability.Continental surface
forcing also modulates climate on interannual time
scales but probably to a lesser (and poorly con-
strained) extent. Some forms of intermittent forcing,
such as increased aerosol concentrations caused by
large volcanic eruptions, also affect the climate system
for more than a season and thus contribute to
interannual variability.

Patterns of interannual variability of temperature or
precipitation are heavily modulated by large-scale
atmospheric dynamics. Planetary wave anomalies
organize much of the interannual variability into
large-scale teleconnection patterns that are best de-
fined in terms of pressure or geopotential height
anomalies. The existence of these fixed geographical
patterns of variability allows interannual fluctuations
to be described, monitored, and to a limited extent
predicted, in terms of relatively few large-scale indices
of the anomalous circulation.

Seasonal Variability

The seasonal cycle of Earth’s atmosphere is a conse-
quence of systematic changes in insolation associated
with Earth’s orbit around the Sun. The primary
parameter in determining seasons is the tilt of Earth’s
rotational axis relative to the plane of its orbit. This tilt
is currently about 23.51. The Northern Hemisphere is
tilted toward the Sun during the half-year centered on

the boreal summer solstice, and tilted away from the
Sun during the half-year centered on the boreal winter
solstice. The orbit is nearly circular, so the small
seasonal variation in the distance from Sun to Earth
plays a much smaller role than the tilt in determining
the seasons.

Figure 1 illustrates the magnitude of the seasonal
cycle in surface air temperature, expressed here as the
annual range of climatological monthly mean temper-
ature during the year. Values generally increase from
the Equator toward the poles, consistent with the
greater seasonal cycle of solar insolation toward the
poles. The seasonal cycle of temperature over the
world oceans and equatorial continents is generally
less than 51C. Relative maxima are found in extra-
tropical continental interiors. The largest amplitudes,
exceeding 401C, are found across northern Canada
and north-eastern Asia, the northernmost continental
regions far downwind from the influence of oceans to
the west. The seasonal cycle is smaller in amplitude in
the Southern Hemisphere relative to the Northern
Hemisphere. The phase of the seasonal cycle generally
follows the seasonality of insolation, with maximum
temperatures lagging the summer solstice of insolation
by a few weeks to a few months.

The geographical variability of the amplitude of the
seasonal cycle in temperature illustrates the strong
thermal buffering effect of the oceans, whose capacity
for storing heat (or thermal inertia) is several orders of
magnitude greater than the heat capacity of land
surfaces on the continents. The difference is due to two
characteristics of bodies of water: the specific heat of
liquid water is much larger than that of rock or soil,
and verticalmotions in the upper ocean distribute heat
through a much deeper surface layer than occurs on
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continents. The oceans store huge amounts of heat in
summer and release heat to the atmosphere in winter,
damping the seasonal cycle of air temperature very
considerably. The larger thermal inertia of the oceans
relative to the continents also affects the phase of the
seasonal cycle: temperatures over the oceans (or over
coastal regions, especially along western coasts affect-
ed by westerly winds off the ocean) tend to reach their
maximum seasonal value somewhat later in the year
than at sites in continental interiors.

The seasonal cycle of precipitation is indirectly
related to insolation variations via the seasonal vari-
ability of atmospheric temperature and circulation.
The moisture content of the air, which is strongly
controlled by the Clausius–Clapeyron equation such
that warmer near-surface temperatures allow for
larger vapor content, is one factor that leads to a
tendency for the warm season to be the rainy season as
well across much of the planet. Thus the largest
precipitation amounts, and the largest seasonal cycle

amplitudes of precipitation, occur in tropical latitudes
(Figure 2). Upward motion is needed for precipitation
as well, so precipitation is suppressed over regions of
large-scale subsidence even when temperatures are
warm.

Tropical continents are often characterized by
monsoonal climates,with a pronounced summer rainy
season. Monsoons are driven by seasonally reversing
continent–ocean temperature gradients. In summer,
the lower heat capacity of continents raises the surface
temperature above that of the ocean, creating a
pressure gradient directed from ocean to continent
that drives a moist onshore flow. The combination of
abundant onshore transport of water vapor and
conditionally unstable lapse rates over continents
leads to a sharp summertime peak in rainfall, espe-
cially in regions where convective precipitation is
enhanced by orographic lifting. These ingredients F
proximity to a warm tropical ocean, strong continen-
tal heating in springtime, and large inland mountain
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Figure 2 Seasonal climatological surface precipitation (mm) for (A) June–July–August and (B) December–January–February,
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rangesF are present in south Asia, where the world’s
most intensemonsoon circulation takes place and very
large summer rainfall amounts occur (Figure 2A). In
winter, the monsoon circulation reverses as the con-
tinent cools relative to the ocean, and the associated
continental climate across south Asia is cold and dry
(Figure 2B). Similar monsoonal seasonal transitions
can be seen in Figure 2 in Africa and northern
Australia.Monsoonal circulations inNorth and South
America are less pronounced.

The seasonal cycle of precipitation over low-lati-
tude oceans is stronglymodulated by seasonal shifts in
the Hadley circulation, which maintains its near-
equatorial (rising) branch in the summer hemisphere
and its subtropical (sinking) branch in the winter
hemisphere. Precipitation is strongly suppressed in the
vicinity of the sinking branch, particularly near and to
the east of the prominent oceanic subtropical highs in
the summer season. Thus in Figure 2A there are
extensive regions of low precipitation (o100mm)
across the eastern subtropical Pacific and Atlantic
Oceans (201–301N).

Over the extratropical oceans and western conti-
nents, the phase of seasonal precipitation variations is
the reverse of the tropics: winter tends to be the wet
season. This is because summertime convective pre-
cipitation over these regions is strongly suppressed by
subsidence over the summer subtropical highs. The
winter season precipitation maximum results from
frontal lifting associatedwith baroclinicwave activity,
which is strongest in winter when temperature gradi-
ents are larger, especially in the winter ‘storm track’
regions on the poleward flanks of the principal
tropospheric jet streams. Storm track-related boreal
winter precipitation maxima, exceeding 500mm in
Figure 2B, are observed over the north-eastern Pacific
Ocean and south of Greenland in the Atlantic Ocean.

In a few regions the seasonal cycle is determined by
special regional circulation systems and bears no
obvious relationship to insolation variations. An
important example is the tropical eastern Pacific
Ocean, where a ‘cold tongue’ in the surface temper-
ature develops right along the Equator in the boreal
autumn and weakens in springtime. The spatial and
seasonal variations of precipitation are closely tied to
ocean temperatures near the Equator, with surface
wind convergence over the warmest water. Thus
spring is relatively warm and rainy while autumn is
colder and less rainy. The special ocean–atmosphere
dynamics that create this unusual seasonal cycle are an
intrinsic part of the El Niño cycle of interannual
variability.

The geographical variations in seasonal cycles
described here have been incorporated into numerous
climate classification schemes, which are based in part

on the amplitude and timing of seasonal fluctuations
of temperature and precipitation. Classification sys-
tems are often used to relate different climatic zones to
observed geographical variations in flora and fauna
because plant species (for example) are typically
adapted to limited ranges in temperature and precip-
itation. Once these associations between climate
classifications and ecosystem variables are made,
then the classifications can be used to characterize
ancient climates so that fossil evidence for certain
plants or animals can be dated. The same climate–
ecosystem relationships are used to formulate esti-
mates of the long-term impacts associated with pre-
dicted future climate changes.

Causes and Magnitude of Interannual
Variability

Monthly and seasonal averages of temperature, pre-
cipitation, and other climatic variables are not the
same year after year, although across most of the
planet the amplitude of the seasonal cycle exceeds by
far the deviations from seasonality that define inter-
annual variability. Figure 3 describes the interannual
variability of Northern Hemisphere winter surface air
temperature, expressed as the standard deviation of
winter seasonal averages (December through Febru-
ary). Note that this calculation includes all resolvable
fluctuations, including any long-term trends or dec-
adal variability that may be present during these three
decades. Comparing this plot with Figure 1, it is easy
to see that the interannual variations in northern
winter temperature are almost everywhere much
smaller than the winter–summer seasonal difference
in temperature. The largest values of interannual
temperature variability occur over the subpolar con-
tinents, including maxima exceeding 51C in north-
west North America and Siberia. Interannual fluctu-
ations over the oceans are much smaller, rarely
exceeding 11C.

Interannual temperature variability during other
seasons is considerably smaller than in the boreal
winter. The local interannual standard deviation of
boreal summer temperature is generally less than 11C
even over the continents. The pronounced winter
maximum in interannual temperature variability re-
sults from two factors. First, planetary waves are most
pronounced and most variable during this season, so
that anomalous troughs and ridges are large during
this season. Second, temperature gradients are large in
the northern winter; in combination with the possi-
bility of large anomalous troughs and ridges, these
temperature gradients can support very large seasonal
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temperature advection anomalies in the boreal winter
season.

Interannual variability of precipitation is largest
during the seasons andover the regionswhere seasonal
precipitation averages are large. Thus the variability is
generally larger across the continents in summer and
over the oceans in winter. In regions of low average
precipitation, however, even small seasonal precipita-
tion deficits can cause profound hardship on water-
stressed environments and societies. In the tropics,
interannual variability is large and can be comparable
to the range of seasonal variations.

Interannual variability derives from several sources,
including the following.

� Weather noise.Althoughonemonth or one season is
generally longer than the lifetime of an individual
synoptic weather system, there are entirely random
differences in the average weather from one year to
the next associated with the limited sampling of
weather during one month or one season. Weather
noise is quite pronounced in precipitation statistics
in arid climates, where just one intense precipitation
episode (or the absence of one episode) can signif-
icantly affect the ‘average’ for a particular month or
season.

� Internal atmospheric variability. The atmosphere
contains internal modes of dynamical variability
that are considerably longer-lived than individual
weather systems. A prominent example is the
stratospheric quasi-biennial oscillation (QBO) in
equatorial zonal winds, which results from upward
propagating planetarywaves forced randomly from
below in the troposphere. Equatorial stratospheric
wave dynamics set the time scale of theQBO, rather

than the time scale of the forcing from below.
Long-lived internal variability is generally less
pronounced in the troposphere relative to synop-
tic-scale weather fluctuations. However, some
long-lived fluctuations (such as ‘blocking ridges’,
persistent regions of high pressure that perturb the
middle-latitude westerly flow) project significantly
onto interannual variability.

� Ocean–atmosphere interactions. Nonseasonal oce-
anic variability occurs over time scales longer than
atmospheric weather. Large-scale waves on the
thermocline propagate across ocean basins over
months or even years. Surface temperature
perturbations associated with these waves act as
short-term climatic forcing for the overlying atmos-
phere by modifying the fluxes of latent and sensible
heat into the atmosphere, thereby modulating near-
surface air temperature, pressure and humidity.
These atmospheric anomalies in turn affect the
distribution of vertical motion and precipitation, so
that the atmospheric response to slowly varying
ocean surface temperature anomalies extends
through the troposphere. Large-scale atmospheric
dynamics worldwide are thereby affected by large
oceanic temperature anomalies.

In particular, much of the interannual variability
across large regions of the Earth has been shown to
correlate with fluctuations of the coupled ocean–
atmosphere system known as El Niño/Southern
Oscillation (ENSO). ENSO extrema generally are
linked to the seasonal cycle, with largest equatorial
Pacific sea surface temperature (SST) anomalies
occuring in the boreal autumn and winter seasons
when the cold tongue is normallymost pronounced.
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Extrema in the ENSO cycle include huge pools
of anomalous warm (El Niño) or cold (La Niño)
surfacewater, extending along the Equator from the
South American coast westward to the dateline
(fully one-quarter of the circumference of the
Earth). Such a gigantic anomaly in ocean surface
temperatures profoundly affects the large-scale
distribution of deep convective precipitation across
the Pacific, which in turn perturbs the Hadley
circulation, the subtropical jet stream across the
Pacific, and the storm tracks and planetary waves in
the western hemisphere. Thus the atmosphere
transmits the effects of equatorial Pacific Ocean
surface temperatures across much of the globe.

� Volcanic eruptions. Occasional explosive volcanic
eruptions inject large quantities of aerosols into the
stratosphere. In addition to the profound effects of
volcanic plumes on local climate, which tend to
decay quickly once the eruption episode is over, the
stratospheric aerosols can remain in circulation for
several years after the eruption and their effects are
distributed by the stratospheric circulation across
much of the planet. Global cooling is generally
observed during the period of time that volcanic
aerosol plumes are resident in the stratosphere.

� Persistent land surface anomalies. Land surface
anomalies such as soil moisture fluctuations, vege-
tation changes, or interannual variations in snow-
pack can have effects on the overlying atmosphere
analogous to ocean surface temperature anomalies.
As described above in the discussion of the seasonal
cycle, however, the heat storage capacity of land
surfaces is much smaller than upper-ocean heat
storage, so land surface anomalies are thought to
play a smaller role than large-scale ocean anomalies
in forcing atmospheric interannual variability.
Nevertheless, modeling studies have shown that
prescribed large-scale anomalies in land surface
characteristics can affect climate significantly. In
particular, lengthy episodes of drought in the inte-
rior of a continent are exacerbated by a positive
feedbackon the energy andhydrological cycles from
the land surface: lack of rainfall leads to dry soil and
sparse vegetation, which in turn causes decreases in
evaporation and moist static energy in the atmos-
pheric boundary layer. These deficits in near-surface
water vapor and energy tend to suppress convective
precipitation in the summer, acting to perpetuate
drought.

On longer time scales, seasonal and interannual
variability may be loosely distinguished from longer
time scale (decadal–centennial) fluctuations by the
relative importance of the climatic processes involved.
In particular, a considerable fraction of the forcing for

seasonal and interannual variability can be described
by focusing on the upper ocean (above the thermo-
cline). The abyssal oceanic circulation, including the
thermohaline circulation, may play a much more
prominent role at longer (decade–century) time scales.
The atmospheric interannual variability associated
with continental surface anomalies is not well under-
stoodbut is generally thought to be less important than
oceanic forcing because the heat capacity of land
surfaces is so much smaller. Long-term changes in
vegetation patterns, and the relatively slow changes in
atmospheric composition, are very important on
decade–century time scales but may also modulate
interannual variability.

Diagnosis and Prediction of
Interannual Variability

Interannual variability does not occur randomly
across the planet. Local forcing of the atmosphere, if
sufficiently deep in vertical extent, can disrupt the
large-scale circulation, including the large-scale pre-
cipitation patterns, the amplitude and extent of the
mid-latitude jetstreams, and the planetary wave
structure of the tropospheric flow. Preferred large-
scale patterns of planetary wave anomalies, called
teleconnection patterns, have been identified via
statistical analysis of the observed interannual varia-
bility of sea-level pressure or mid-tropospheric geo-
potential heights. These teleconnection patterns are
most pronounced in the boreal winter season when
planetary wave energy is maximized.

The existence of such patterns allows climatologists
to describe a large fraction of interannual variability
using just a few indices of the anomalous circulation
associated with teleconnection patterns. Among the
most prominent teleconnection patterns are the
Southern Oscillation over the tropical Pacific (now
known to be associated with the equatorial oceanic
temperature anomalies of ElNiño), theNorthAtlantic
Oscillation of heights and temperatures (whichmay be
linked to the stratospheric circulation via the Arctic
Oscillation), and the Pacific/North American pattern
of geopotential heights. Seasonal surface temperature
and precipitation anomalies are associated with the
planetary wave perturbations that characterize these
patterns. In the Southern Hemisphere, geopotential
heights are observed to vary in a characteristic
wavenumber-3 pattern anchored to the distribution
of continents and oceans in middle latitudes.

In order to monitor interannual variability, the
major weather services of the world quickly calculate
monthly and seasonal averages of temperature, pre-
cipitation, and geopotential height at the end of
each month. Indices of the principal teleconnection
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patterns and ocean temperatures in the tropical Pacific
are a particular focus of real-timemonitoring.Areas of
the planet experiencing extreme, persistent anomalies
of temperature and precipitation are also monitored
closely. Drought indices, which can be based on
different combinations of precipitation, soil moisture,
and vegetation status indicators, are particularly
closely monitored and disseminated to the public.

If any of the causes of interannual variability listed
above persist for longer than a season (or if the causes
themselves could be predicted a season or more in
advance), and if the magnitude of interannual varia-
bility forced thereby is large compared to unpredict-
able interannual variability such asweather noise, then
in principle it should be possible to make skillful
predictions of short-term climate anomalies at lead
times extending beyond the deterministic limit of a
weather forecast. Such seasonal forecasts of short-term
climate anomalies cannot predict the evolution of
individual weather systems, and thus are incapable of
predicting the weather on specific days. The goal
instead is to forecast how the average weather for a
month or a season will differ from the expected value
derived froma straightforward climatological average.

Seasonal hurricane forecasts for the north-west
Atlantic region, for example, are based on knowledge
of the ENSO cycle, Atlantic ocean temperature
anomalies, the phase of the QBO in tropical strato-
spheric winds, and several other factors that can be
observed prior to the start of the hurricane season. At
the beginning of the North Atlantic hurricane season
(in late summer), forecasts are issued for the number of
tropical cyclones that are expected to make landfall in
North America based on historical associations be-
tween the factors listed above and subsequent hurri-
cane activity. It should be emphasized that no attempt
is made to forecast the timing or tracks of individual
cyclones, simply the aggregrate hurricane activity for
the entire season.

Active operational prediction efforts are aimed at
producing skillful and useful estimates of the proba-
bilities of seasonal climate anomalies of temperature
and precipitation up to about a year in advance. At
present the principal well-demonstrated source of

seasonal climate predictability is the ENSO cycle,
which has been shown to correlate with climate
anomalies in many regions throughout the world.
Ocean temperatures and surface winds across the
tropical Pacific are now observable in real time thanks
to the development of an extensive monitoring system
that combines in situ and satellite observations.
Climate forecasters know that if the equatorial Pacific
Ocean and atmosphere develops a significant cold or
warm anomaly in the boreal autumn then it is highly
likely that such anomalous conditions will persist
through the following winter season. A winter sea-
sonal forecast featuring enhanced probabilities of
large-scale anomalies of precipitation and tempera-
ture associated with ENSO extrema can then be
disseminated in time for precautionary action.

See also

Air–Sea Interaction: Sea Surface Temperature. Cli-
mate Variability: Decadal to Centennial Variability; North
Atlantic and Arctic Oscillation. Coupled Ocean–Atmos-
phere Models. Drought. El Niño and the Southern
Oscillation: Theory. Kelvin Waves. Middle Atmos-
phere: Quasi-Biennial Oscillation. Monsoon: Overview.
Predictability andChaos.Teleconnections.Tropical
Meteorology: Tropical Climates. Walker Circulation.
Weather Prediction: Seasonal and Interannual Weather
Prediction.
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Introduction

Clouds occupy a small but important fraction of the
total volume of the troposphere. In addition to playing
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a key role in the global hydrologic cycle and influenc-
ing atmospheric radiative transfer, clouds interact
with a variety of chemical species. Together with gases
and particles, clouds comprise a complex multiphase
system. Clouds act both as reactors for the production
of new chemical species and as vectors for particle and
trace gas removal, via wet deposition and direct
deposition of cloud and fog drops to the surface.

Figure 1 provides an overview of several important
processes in the multiphase atmospheric system.
Clouds and fogs (clouds in contact with Earth’s
surface) interact with both aerosol particles and trace
gases. The incorporation of particles and gases into
cloud drops are key steps in determining the initial
chemical composition of the cloud. The sections below
discuss several aspects of tropospheric cloud chemis-
try. It is also important to keep in mind that clouds
occur in the stratosphere too, where they play
an important role in promoting heterogeneous reac-
tions important to stratospheric ozone depletion and
other processes, though this subject is not discussed
here.

Cloud Drop Formation

Cloud drops form via condensation of water vapor
onto a subset of particles termed cloud condensation
nuclei (CCN), a process known as heterogeneous
nucleation. In the absence of suitable particles, clouds
would not form readily, as enormous supersaturations

are required for the homogeneous nucleation of water
vapor. Atmospheric particles often contain mixtures
of organic and inorganic components. Hygroscopic
particles can take up or lose water in response to
changes in the ambient relative humidity (see Aero-
sols: Role in Cloud Physics). At high humidity these
particles can take upwater vapor. The point atwhich a
dry particle spontaneously takes up water vapor to
form a saturated solution is known as the relative
humidity of deliquescence (RHD). The RHD depends
on particle composition.

Particles that have deliquesced are referred to as
haze particles. As the humidity increases above the
RHD, haze particles take on additional water to
maintain equilibrium with the partial pressure of
water vapor in the atmosphere. The equilibrium
partial pressure of water vapor above a haze drop
depends on the drop size and the drop composition.
Increased drop curvature raises the equilibrium water
vapor pressure via the Kelvin effect. Increased drop
solute content lowers the equilibrium vapor pressure
by displacement of water molecules near the drop
surface. The combined effects of drop curvature and
solute content are often described using Köhler theory
(see Aerosols: Role in Cloud Physics). Application of
Köhler theory indicates that for a given particle size
there is a critical supersaturation above which drops
will spontaneously take up water vapor and grow
unstably. Suchdropshavebeenactivated.Theprocess of
activation is also referred to as nucleation scavenging.

Wet deposition
Dry
deposition

Ground

Emission

Partciles
and

gases

Below-cloud
scavenging

Precipitation
(infrequent)

In-cloud
scavenging

Cloud drops
(chemical reaction)

Accretion

Vapor
deposition

Evaporation (frequent)
(releases modified particles

and gases)

Figure1 Schematic representation of themultiphase cloud-particle-trace gas system in the atmosphere. Included are processes of dry

and wet deposition, particle and gas scavenging by cloud drops, chemical reaction, and precipitation formation in a mixed-phase

(ice–liquid water) cloud.
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Growth of activated drops is limited primarily by the
availability of water vapor. Haze particles which do
not reach their critical supersaturation will not acti-
vate and will remain in equilibrium with the ambient
water vapor concentration.

Many types of atmospheric particles are capable of
serving as CCN. In many clouds, particles as small as
0.1 mm in diameter can activate and grow into cloud
drops. In other cases, particularly when supersatura-
tions are low and/or particle concentrations are high,
the minimum particle size activated may be 0.5 to
1mm. CCN have traditionally been thought to be
comprised mainly by sulfate particles, sea salt parti-
cles, and, in some environments, nitrate particles.
Recent studies, however, indicate that many carbon-
aceous particles are also capable of acting as CCN.
Further work is needed to elucidate interactions of
carbonaceous particles with clouds and fogs.

The soluble fraction of the cloud condensation
nucleus determines the initial chemical composition of
the cloud drop. In addition to nucleation scavenging,
unactivated (interstitial) aerosol particles can be
incorporated into cloud drops by a variety of mech-
anisms including interception, inertial impaction, and
diffusion. While nucleation scavenging can often be
quite efficient, scavenging of interstitial particles tends
to be relatively inefficient.

The concentration of a compound in the aqueous
phase resulting from particle scavenging can be
expressed as

CW ¼ eaCa

LWC
¼ Ca

ðen þ eB þ eCÞ
LWC

½1�

Cw is the aqueous phase concentration inside the
droplets resulting from particle scavenging, Ca

the initial mass concentration of the particles, and ea
the mass fraction incorporated in the drops: the
scavenging efficiency. LWC is the cloud liquid water
content. en; eB, and eC represent the mass fraction of
matter incorporated by nucleation ðenÞ, Brownian
motion ðeBÞ, and collision ðeCÞ. Overall mass scaveng-
ing efficiencies for soluble aerosol species, such
as sulfate or chloride, may be only 20–30% for
polluted radiation fogs, but can approach 100%
for clouds formed by vigorous updrafts in pristine
environments.

Dissolution of Soluble Gases

In addition to particle scavenging, the composition of
clouddrops canbe significantly affected bydissolution
of soluble gases. These processes are represented in
Figure 2, where several key soluble gases are repre-
sented. Even in remote areas, cloud drops can be
partially acidified by dissolution of carbon dioxide. In
polluted areas, further acidification can occur by
uptake of nitric acid. In certain environments hydro-
chloric acid can also be important. Low-molecular-
weight carboxylic acids, especially formic and acetic
acids, can be important contributors to drop acidity in
both polluted and pristine environments. Sulfur diox-
ide is moderately soluble in most cloud drops. Its
uptake is of particular interest because of the potential
for rapid oxidation to sulfate in the aqueous phase.
Gaseous oxidants such as hydrogen peroxide and
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Figure2 Schematic representation of the influenceof particles andgases on cloud/fogdrop composition.Reactions between several of

the dissolved species shown here can also be important.
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ozone are important because they serve as effective
oxidants of dissolved sulfur dioxide. A number of
other organic gases can also dissolve into drops.
Dissolution of formaldehyde is depicted in Figure 2.
Formaldehyde is often of interest because it may be
present at high concentrations and because it can react
with dissolved sulfur dioxide, as discussed below.

The extent to which a gas partitions into a cloud
drop at equilibrium depends on its solubility. In some
cases the time required to achieve equilibrium is long
relative to the rate of reaction of the dissolved gas or
relative to the drop’s lifetime, so that phase equilib-
rium may not be achieved. When the liquid and gas
phases are in equilibrium, the concentration in the
drop is given by Henry’s law:

Xaq

� � ¼ Hxpx ½2�
where ½Xaq� is the concentration of the species X in
solution (mol.L�1), px the partial pressure of this
species in the atmosphere (atm) and Hx the Henry’s
Law constant for the species (mol.L�1 atm�1). The
solubility of most gases increases with decreasing
temperature.

As written above, Henry’s law expresses the phys-
ical solubility of a gas. For many species, the overall
solubility is further enhanced by dissociation or
reaction in solution. An important example is the
dissolution of sulfur dioxide:

SO2ðgÞ.H2SO3ðaqÞ ½I�

H2SO3.HSO�
3 þHþ ½II�

HSO�
3.SO2�

3 þHþ ½III�
If the compounds are reactive in solution, it is useful to
define an effective Henry’s law constant which takes
into account the chemical reactions and includes
the total amount of incorporated compound (e.g.,
H2SO3 þHSO�

3 þ SO2�
3 ).

Hn

SO2
¼ HSO2

1þ K1

½Hþ� þ
K1K2

½Hþ�2
 !

½3�

In eqn [3], K1 and K2 are the acid dissociation
constants corresponding to reactions [II] and [III],
respectively. In the case of acid–base reactions in
solution, the effectiveHenry’s law constant varieswith
pH. In the case of sulfur dioxide dissolution, the
formation of the ionized forms provides extra reser-
voirs for sulfur dioxide in solution, thereby increasing
the effective solubility of sulfur dioxide substantially
when the drop pH exceeds one or both pKa’s for
dissolved sulfur dioxide. The solubility of atmospheric

trace gases in aqueous solution varies strongly, from
slightly soluble species (e.g.,O3) tomoderately soluble
species (e.g., SO2), to very soluble species (e.g., H2O2

and HNO3).

Drop Composition

The combined effects of particle and gas scavenging,
along with chemical reactions (discussed below),
determine the chemical composition of cloud
drops. Absolute concentration levels of individual
species are also influenced in part by condensational
growth or evaporation of drops. Major species
commonly found to dominate fog and cloud compo-
sition include a number of ions, especially nitrate,
sulfate, and ammonium. In coastal regions, sea
salt ions are important contributors to the
drop composition, while in some locations contribu-
tions of soil dust components can be important.
Although measurements are not widely available,
it is apparent that organic compounds can also
be important contributors to fog and cloud composi-
tion. In some polluted environments, concentra-
tions of formaldehyde, acetate, and formate can
reach levels similar to those observed for major
inorganic ion species. Table 1 provides approximate
concentration ranges of various chemical species
observed in clean and polluted clouds and in polluted
radiation fogs.

Experimental observations reveal that only a
fraction of the total organic carbon (TOC) content
of fogs or cloud consists of low-molecular-weight
compounds such as formate, acetate, and formalde-
hyde. To date, only modest efforts have been made to
identify and quantify higher-molecular-weight com-
pounds in fogs and clouds, although some studies have
focused on measuring particular compound families

Table 1 Typical range of solute concentrations in remote and

polluted clouds and fogs

Solute Polluted

cloud

Polluted

fog

Remote

cloud

pH 2–5 3–7 4–6

SO4
2� (meq L

�1) 50–2000 50–5000 5–50

NO3
� (meq L

�1) 10–2000 50–20000 0–20

NH4
1 (meq L

�1) 50–1000 100–20 000 10–50

Cl� (meq L
�1) 0–500 0–100 0–500

Na1 (meq L
�1) 0–500 0–200 0–500

HCOO� (meq L
�1) 0–100 0–1000 0–20

CH3COO� (meq L
�1) 0–100 0–500 0–10

HCHO (mM) 10–50 5–500 0–10

TOC (ppmC) 2–30 5–50 0–2

meq L
�1, microequivalents per liter; mM, micromolar; ppmC, parts

per million carbon by mass.
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because of their specific sources or their toxicity.
Organic compounds measured in fogs and clouds
include carboxylic acids (formic, acetic, pyruvic,
propionic), aldehydes (formaldehyde, acetaldehyde,
glyoxal, benzaldehyde), polycyclic aromatic hydro-
carbons (chrysene, pyrene, fluoranthene, benzo(e)-
pyrene, benzo(b)-fluoranthene), ketones (acetone),
pesticides (carbaryl, diazinon, malathion, lindane,
atrazine), and various phenols (phenol, 2- and 4-
nitrophenol, 2,4-dinitrophenol, 3/4-methylphenol
ðm=p-cresolÞ, guaiacol, syringol). This list of com-
pounds is illustrative but not exhaustive. Many
organic compounds found in cloud drops are emitted
during combustion, while many are formed as sec-
ondary products of atmospheric reactions. With the
exception of the low-molecular-weight carboxylic
acids and aldehydes, cloud drop concentrations of
most individual organic compounds are typically
much smaller than those of the major inorganic
species.

Although clouds have traditionally been assumed to
be comprised of populations of chemically homoge-
neous drops, there is increasing evidence that a wide
variety of drop compositions often exists within a
given cloud or fog. These differences arise in part from
the variability in the composition of the underlying
CCN. Other differences arise from variations in
condensational growth rates as a function of drop
size and from nonequilibrium absorption of highly
soluble trace gases. Increasingly, cloud chemistry
models and measurements are being designed to
investigate chemical heterogeneity among cloud drop
populations.

Reactions Occurring in Cloud Drops

Many chemical species incorporated in cloud drops
can react in the aqueous phase. Considerable attention
has been focused on the aqueous oxidation of dis-
solved sulfur dioxide to sulfate, although numerous
other reactions have also been shown to be important.
Several key chemical reactions are discussed briefly
below.

Aqueous-Phase Sulfur Oxidation and Complexation

Oxidation of SO2 to H2SO4 is a key reaction in the
atmosphere. The resulting sulfate contributes to acid
deposition, visibility degradation, respiratory prob-
lems, and climate modification. Sulfate production
occurs both in the gas phase and in the aqueous phase,
but the latter is much faster.

As described above, dissolution of SO2 in cloud
drops is a function of the drop pH (Figure 3). In the pH
range usually encountered in cloud and fog drops (pH

between 2 and 7), the dominant form of dissolved
sulfur dioxide is bisulfite. As the pH climbs above 7,
the speciation shifts toward sulfite.

Several S(IV) oxidation mechanisms occur in
the aqueous phase; their relative importance depends
on the drop pH and the availability of oxidants
and catalysts. Three important aqueous S(IV) oxida-
tion pathways are oxidation by hydrogen per-
oxide, oxidation by ozone, and oxidation by oxygen
(autooxidation) catalyzed by Fe(III) and Mn(II).
Figure 4 depicts the rate of sulfate production by these
three pathways for 1 ppb(v) sulfur dioxide in the
presence of 30 ppb(v) ozone and 1 ppb(v) hydrogen
peroxide. The rate of production is shown as a
function of drop pH.

In many clouds hydrogen peroxide is assumed to be
the dominant S(IV) oxidant. As shown in Figure 4, this
oxidation pathway tends to be much faster than the
others at lower pH values. While the ozone and
autooxidation paths become slower with decreasing
pH, the rate of the hydrogen peroxide pathway is
essentially independent of pH over the range of
interest. The lack of pH dependence results from the
opposing pH dependence of two contributing factors.
While the effective solubility of sulfur dioxide de-
creases with decreasing pH, the intrinsic rate of sulfate
production increases at lower pH. It is believed that
oxidation occurs by nucleophilic displacement of a
water molecule by hydrogen peroxide attack on
bisulfite:

HSO�
3 þH2O2.SO2OOH� þH2O ½IV�
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Figure 3 The speciation of dissolved sulfur dioxide as a function

of pH.
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followed by reaction of the peroxymonolsulfurous
acid intermediate with hydrogen ion to yield sulfuric
acid:

HOOSO�
2 þHþ.H2SO4 ½V�

Because the second step is rate-limiting, the intrinsic
rate of oxidation increases with increasing hydrogen
ion concentration. Oxidation of S(IV) is also possible
by organic peroxides, but those reactions are of lesser
importance owing to their lower atmospheric concen-
trations and their lower aqueous solubility.

At higher pH, or after available hydrogen peroxide
has been consumed, S(IV) oxidation by ozone can be
important. The rate of reaction of S(IV) with ozone in
aqueous solution can be expressed as

�d½SðIVÞ�=dt ¼ ðk0a0 þ k1a1 þ k2a2Þ½SðIVÞ�½O3� ½4�
where k0, k1, and k2 are the reaction rate constants for
reaction of ozone with H2SO3, HSO3

� , and SO3
2� ,

respectively; and a0, a1, and a2 represent the fractions
of dissolved sulfur dioxide present as H2SO3, HSO�

3 ,
and SO2�

3 , respectively. Because the effective solubility
of sulfur dioxide increases with pH and because sulfite

is oxidized much more rapidly than bisulfite, which is
oxidized more rapidly than sulfurous acid, the rate of
sulfate production by this pathway increases strongly
with increasing pH. As shown in Figure 4, the rate of
this pathway can exceed even that of the hydrogen
peroxide pathway at pH values greater than 5 for
typical conditions. The rate of this pathway becomes
so rapid, in fact, that it tends to become mass-
transport-limited for larger drops at high pH. This is
especially likely when formaldehyde is present as a
copollutant, since dissolved sulfur dioxide is rapidly
consumed by reaction with both ozone and formalde-
hyde at high pH.

Aqueous S(IV) oxidation by oxygen is also possible
but is very slow in the absence of catalysts. The
reaction can be fast enough to be important when
catalyzed by certain trace metals including Fe(III) and
Mn(II). Of particular interest is the synergistic cata-
lysis afforded by the simultaneous presence of Fe(III)
and Mn(II). While several investigators have reported
oxidation rate expressions for this pathway, there is far
from uniform agreement among the reported expres-
sions. Evaluation of the importance of this pathway in
actual clouds and fogs is further complicated by the
difficulty of making accurate measurements of iron
and manganese speciation in the field.

In some circumstances, S(IV) oxidation by radicals,
including OH, Cl�2 , and Br�2 , may also be important,
especially in polluted conditions where the pH is low
and the sulfur dioxide concentration far exceeds the
hydrogen peroxide concentration.

Field studies have found S(IV) to be present in cloud
droplets atmuch higher concentrations than predicted
by Henry’s law, even accounting for ionization of
dissolved sulfur dioxide in solution. An important
reason accounting for this apparent discrepancy is the
tendency for sulfite and bisulfite to form complexes
with various aldehydes, especially formaldehyde:

HCHOþHSO�
3.CH2ðOHÞSO�

3 ½VI�

HCHOþ SO2�
3 .CH2ðOÞSO2�

3 ½VII�
The product of these reactions is hydroxy-

methanesulfonate (HMS). Formation of HMS is
favored at high pH. Significant concentrations of
HMS have been measured in high-pH fogs in polluted
environments, including California’s San Joaquin
Valley. Formation of HMS is of interest because it
represents an additional sink for sulfur dioxide in
high-pH drops and because it is fast enough under
those conditions to limit the amount of aqueous phase
sulfate production. Although S(IV) complexation by
other aldehydes can also occur, these reactions are
generally of lesser importance than reaction with

1E−2

1E−4

1E−6

1E−8

1E−10

1E−12

1E−14

1E−16
1 2 3 4 5 6 7 8

pH

−d
 [S

(I
V

)]
/d

t (
M

 s
−1

)

H2O2

O2/Fe(III) + Mn(II)

O3

Figure 4 The pH dependence of the rate of aqueous S(IV)

oxidation by hydrogen peroxide, by ozone and by oxygen (cataly-

zed by Fe(III) and Mn(II)). Conditions represented in the figure are
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456 CLOUD CHEMISTRY



formaldehyde, owing to the lower solubilities of
higher-molecular-weight aldehydes and their lower
concentrations in the atmosphere. HMS is stable with
respect to oxidation by O3 and H2O2, but may be
oxidized by OH.

Oxidant Chemistry

A number of other reactions also occur in cloud drops
involving radicals and other oxidants. Several oxi-
dants, including H2O2, O3, HO2 radical, and OH
radical, contribute importantly to aqueous-phase
atmospheric chemistry. Organic peroxides and organ-
ic peroxy radicals do not play as important a role
because of their lower atmospheric concentrations
and/or lower aqueous solubilities.

H2O2, O3, HO2, and OH can all be transferred to
cloudor fog drops from the gas phase.H2O2,HO2and
OH can also be generated photolytically in solution.
Several photolytic sources exist for OH production,
including photodissociation of H2O2, iron-hydroxo-
complexes, nitrate, and nitrite. OH can also be
produced by the photo-Fenton reaction

FeðIIIÞLn þ hn ! FeðIIÞLn; ½VIII�

FeðIIÞ þH2O2 þHþ ! FeðIIIÞ þH2OþOH ½IX�
where L denotes an organic ligand such as oxalate.
Experimental studies confirm that HO2 is formed
photochemically upon the illumination of cloud and
fog samples, subsequently yielding H2O2. Superoxide
(O2

� ) is believed to be formed from reaction of Fe(II)-
oxalate complexes

½FeðIIÞðC2O4Þ�þ þO2 ! FeðIIÞ þO�
2 þ 2CO2 ½X�

followed by protonation to yield HO2:

O�
2 þHþ.HO2 ½XI�

Superoxide can form peroxide in solution via

2O�
2 þ 2Hþ ! H2O2 þO2 ½XII�

Fe(II) has also been postulated to react with HO2 (or
O2

� to form H2O2:

FeðIIÞ þHO2 þHþ ! FeðIIIÞ þH2O2 ½XIII�
Overall, the redox pair of Fe(II)/Fe(III) catalyzes

degradation of oxalate into CO2 and H2O2:

C2O
2�
4 þ 2Hþ þO2 þ hn ! 2CO2 þH2O2 ½XIV�

Laboratory studies of the effect of sunlight illumi-
nation on cloud samples suggest these reactions can be
important both in producing H2O2 and in influencing
the daytime cloud pH.

OH and HO2 can also be formed in solution as a
result of bimolecular reactions and radical intercon-
version processes.One reactionof particular interest is
the oxidation of hydrated formaldehyde (methylene
glycol) by OH to produce HO2 and formic acid. The
overall stoichiometry for this multistep reaction is

H2CðOHÞ2 þOHþO2

! HCOOHþHO2 þH2O ½XV�
Formic acid is commonly observed in clouds and

fogs formed in both pristine and polluted environ-
ments. Similar reactions are possible for oxidation of
hydrated formaldehyde by other radicals, including
NO3, SO4

� , Cl2
� , and CO3

� . Unlike the radicals
discussed above, which can be formed in situ or
transferred from the gas phase, SO4

� , Cl2
� , and CO3

�

are formed only in the aqueous phase.
Formic acid and other higher-molecular-weight

organic acids are also subject to oxidation by aqueous
radicals. Reaction between formic acid and OH

OHþHCOOH ! H2Oþ COOH ½XVI�

COOH þO2 ! CO2 þHO2 ½XVII�
represents an efficient source ofHO2 and a strong sink
for OH. OH is also capable of oxidizing formate
anion, so that HO2 formation by formic acid oxida-
tion is not expected to vary strongly with pH.

In addition to reacting with aldehydes and organic
acids, aqueous-phase radicals are capable of reacting
with other organic substrates containing abstractable
hydrogen atoms. Because we know relatively little
about the organic speciation of fog and cloud drops, it
is difficult to predict accurately how such reactions
might impact the lifetimes of aqueous-phase radicals.

Several aqueous radicals are believed to undergo
reaction with one or more transition metals. In
addition to reaction with iron, reactions are also
possible with manganese, cobalt, and copper. Copper
is of particular interest because it reacts quickly
enough with HO2/O2

� to compensate for its generally
low concentrations in atmospheric waters, while
manganese and cobalt are not expected to significantly
influence aqueous-phase radical concentrations.

Reactions with nitrite may also represent important
sinks for aqueous radicals including OH. The mech-
anism for the reaction of radical species X with nitrite
is given by

XþNO�
2 ! X� þNO2 ½XVIII�

Cloud drop scavenging of HO2 from the gas phase
and HO2 production in situ via the mechanisms
discussed above have received attention because of
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their potential effects on tropospheric ozone concen-
trations. One expects that depletion of HO2 from the
gas phase should influence ozone concentrations in the
gas phase because of the suppression of the reaction:

HO2ðgÞ þNOðgÞ ! OHðgÞ þNO2ðgÞ ½XIX�

Further, dissociation of HO2 in solution to form
superoxide can promote ozone destruction in the
aqueous phase via

O3 þO�
2 ! O�

3 þO2 ½XX�

O�
3 þH2O ! OH� þOHþO2 ½XXI�

The overall effect of clouds on tropospheric O3

concentrations remains a topic of discussion, with
some authors arguing for a potentially significant
effect while others suggest it is probably not a major
factor. Differing conclusions stem at least in part from
differences in the reaction mechanisms considered.

Deposition

The chemical and microphysical properties of clouds
exert a significant influence on the composition of
precipitation and the resulting wet deposition. Precip-
itation (raindrops and snow crystals) can form in a
variety of ways. Outside the tropics, much precipita-
tion is produced in mixed-phase (ice–liquid water)
clouds. In this environment precipitation is formed in
the ice phase in the presence of supercooled cloud
drops. Ice crystal growth can occur by water vapor
deposition, by inertial capture of cloud drops (accre-
tion or riming), andby ice crystal aggregation. Because
the saturation vapor pressure of water is higher over
liquid water than over ice at the same temperature, ice
crystals often take upwater vapor at the expense of the
cloud drops. As the cloud drops evaporate, their solute
concentrations increase. Meanwhile, the condensa-
tion of water vapor on the ice crystal surface tends to
dilute the concentrations of those species present.
Consequently, it is common for precipitation to
possess much lower solute concentrations than are
found in cloud drops. For larger ice crystals and larger
cloud drops, accretional growth of precipitation
becomes more important. It has been shown that
when crystals are heavily rimed their composition
closely resembles that of the accreted cloud drops.
Because accretional growth favors inertial capture of
larger cloud drops, any drop-size-dependence of cloud
drop composition can influence the precipitation
scavenging efficiencies of individual solute species.
This is also true in warm rain formation, where

collision and coalescence of large cloud drops leads to
formation of rain drops.

In some environments cloud and fog drops can be
deposited directly to Earth’s surface. Drops are
removed by inertial impaction, interception, and
sedimentation. The latter process dominates removal
in radiation fogs while the former processes can be
quite important for capture of cloud drops bymontane
forest canopies. Various studies in the US and in
Europe have shown that for high-elevation sites with a
high cloud interception frequency, hydrologic input by
direct cloud deposition is measurable but often low
compared with the input by rain and snow. However,
because cloud solute contents are often far higher than
precipitation solute contents, cloud drop deposition
can significantly enhance totalwet deposition fluxes of
many chemical species from the atmosphere to terres-
trial ecosystems. Likewise, studies of radiation fogs
reveal that they can represent an important vector for
deposition of accumulation-mode aerosol particles in
polluted environments.

In certain parts of the world, including coastal
northernCalifornia and parts of theHawaiian islands,
the hydrologic input from cloud drop deposi-
tion appears to be an important contributor to
the survival of some plant species. Likewise, cloud
drop deposition has been harnessed in some arid
regions as a means of supplementing the local water
supply for small towns and villages. Large screens of
mesh are erected on ridge tops, where nonprecipitat-
ing clouds are frequently intercepted, to capture water
for domestic use.

See also

Aerosols: Physics and Chemistry of Aerosols; Role in
Cloud Physics. Biogeochemical Cycles: Sulfur Cycle.
Cloud Microphysics. Clouds: Classification. Fog.
Tropospheric Chemistry and Composition: Aero-
sols/Particles; Sulfur Chemistry, Organic.
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Introduction

Cloud microphysics is the branch of the atmospheric
sciences concerned with the many particles that make
up a cloud. Relative to the cloud as a whole, the
individual particles are very small and so exist on the
‘microscale’, that is, over distances from fractions of a
micrometer to several centimeters. The microscale
‘structure’ of a cloud, a specification of the number
concentrations, sizes, shapes, and phases of the vari-
ous particles, is important to the behavior and lifetime
of the cloud. The abilities of clouds to produce rain or
snow, generate lightning, and alter the radiation
balance of the earth, for instance, stem in large part
from their individual microstructures. Cloud physi-
cists attempt to characterize the diverse microstruc-
tures of atmospheric clouds and to understand the
phenomena that cause them to change with time.

Clouds typically form in response to changes in
atmospheric conditions on scales much larger than the
particles, indeed, often much larger than the cloud
itself. Most commonly, the upward motions of moist
air, driven by synoptic-scale disturbances or convec-
tion, cause decreases in the local pressure and temper-
ature, which lead to a lowering of the equilibrium
vapor pressures of the liquid and solid phases of water.
‘Excess’ vapor, that amount above the equilibrium
value, develops in rough proportion to the magnitude

of the updraft speed. This state of disequilibrium is
gradually relieved as the vapor condenses out onto
suitable aerosol particles to form the liquid and solid
(ice) particles of the cloud.

A cloud, especially during its early stages of forma-
tion, often exhibits the properties of a colloidal system,
a suspension of tiny particles that follow the airflow
and interact only weakly with one another. Whereas
the individual aqueous particles may form, grow and
subsequently disappear, the system as awhole remains
microphysically stable for a time and well character-
ized in terms of the number concentrations of liquid
drops and ice particles. The discipline of cloud
microphysics helps us to understand the specific
mechanisms needed to break such colloidal stability
and to form precipitation.

Microphysical Descriptions

The microstructure of a cloud may be categorized and
described statistically in a number of ways. Empirical
descriptions, typically derived from in situ or remote
measurements of clouds, facilitate communications
among atmospheric scientists and provide the first
glimpses of the physical processes likely to have been
operative at time of measurement. The microstructure
may differ substantially from one part of a cloud to
another, and it evolves with time in ways that depend
on the environmental setting and the physical phe-
nomena that are active. Mathematical and numerical
models, depending on their purpose, may employ the
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empirical descriptions directly, or they may calculate
the time evolution of themicrostructure if the relevant
processes are included.

Cloud particles vary in both phase and composition.
The phase, whether solid or liquid, is the traditional
descriptor of the aqueous particles, but the nonaque-
ous aerosol particles in the atmosphere are also crucial
to cloud development and evolution. Liquid conden-
sate forms preferentially on the soluble ‘cloud con-
densation nuclei’ (CCN), which often contain sulfates
or nitrates. Ice particles, by contrast, typically form on
‘ice nuclei’ (IN), insoluble aerosol particles that
contain crustal components or biogenic matter having
crystalline structures related to that of ice. The
dominant phase of the aqueous particles forms the
basis for classifying clouds as ‘warm’,whenonly liquid
drops are present, or ‘cold’, when ice is involved (with
or without liquid drops). The ‘mixed-phase’ region of
a cloud, throughout which both the liquid and solid
(ice) phases of water may be present simultaneously, is
that vertical zone between the melting level (01C) and
the –401C isotherm, the practical lower limit for liquid
water to exist in the metastable (i.e., ‘supercooled’)
state. The relative abundance of each phase in a given
cloud depends on the prevailing meteorological con-
ditions and the microphysical processes active
throughout the lifecycle of the cloud.

The sizes and shapes of the aqueous particles play
important roles in cloud development. Whereas ice
particles can and do appear in awide variety of shapes,
all but the largest liquid drops tend to remain spherical
because of surface tension effects. Figure 1 depicts the
various categories of liquid drops based on their sizes.
Note that the size of a particle is an important
determinant of its terminal fallspeed and hence of
its ability to fall against typical updrafts speeds
(B10 cm s� 1 in stratiform clouds; B10m s�1 in
convective storms). Drizzle drops represent the tradi-
tional transition between the small ‘droplets’ that
remain suspended in the air and the larger drops that
may reach the ground as rain. The shapes of bigger
raindrops tend to become distorted because of the
large dynamic pressure on the lower side, giving the
rough appearance of a ball of dough pressed lightly
onto a table top. This flattening of the underside causes
the aerodynamic resistance to increase relative to that
of spherical drops of equivalent volume, thus limiting
the fallspeeds of raindrops to little more than about
10m s� 1.

The ice particles in a cloud vary enormously in both
size and shape. The first ice to appear in many clouds
tends tobe small (B10 mmacross) andmonocrystalline
in structure. Single crystals of ice subsequently grow
into hexagonal prisms (each prism being bounded by
two ‘basal’ faces and six ‘prism’ faces)with axial ratios

(length along the principal or ‘c’ axis divided by the ‘a’
axis, the width across the corners of the hexagon) that
depend systematically on the temperature. As shown
in Figure 2, ‘plates’ (c=a axial ratios less than unity) are
foundwhen the temperature is either between 01Cand
about �31C or between about �8 and �221C. On
the other hand, ‘columns’ (c=a >1) appear in the
approximate temperature ranges �3 to �81Cand less
than �221C. Deviations from simple hexagonal
prisms are common and depend on the excess vapor
density, as suggested by the various symbols in Figure
2. In addition to the many single crystals, a number of
polycrystalline forms of ice are found in cold clouds.
For instance, several to hundreds of single crystalsmay
clump together to form ‘aggregates’ (i.e., snowflakes),
and supercooled cloud droplets may freeze onto ice
particles, giving rise to rimed crystals, graupel, and
hail. Individual crystals seldom grow to more than a
few millimeters across, but hailstones can sometimes
exceed 10 cm in diameter.

The cloud microstructure is best viewed as a multi-
dimensional specification of the number concentrations

Small rain drop 
R≈1 mm 
v≈7 m s−1

Large rain drop
R≈3 mm 
v≈10 m s−1

Drizzle drop 
R≈100 µm
v≈70cm s−1

Cloud drop 
R≈10µm
v≈1 cm s−1

Haze drop 
R≈1µm
v≈0.1mm s−1

CCN
R≈0.1µm
v≈2 µm s−1

Figure 1 Various categories of liquid drops found in clouds. The

indicated drop radii (R) are drawn roughly to scale, as are the

arrows representing the terminal fallspeeds (v ) of the various drop

categories. ‘CCN’ represents a ‘cloud condensation nucleus’, a

solution droplet that serves as the initial site of condensation. The

large raindrop is shown distorted to represent the effect of a large

dynamic pressure on its underside.
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of the various particles in a cloud. In the case of liquid
drops, one need consider only the size of the drops in
addition to the usual dependence of number concen-
tration on the three-dimensional location within the
cloud and time. The non-spherical ice particles, by
contrast, require some additional specification, such
as axial ratio, to account for the shapes of the particles.
‘Spectral’ descriptions of the cloud particles tell us in
effect how many of what kinds and sizes of particles
are present at given locations within a cloud.

Often, it is useful to characterize the spectra in
mathematical terms to minimize the number of vari-
ables needed to represent the microstructure. The size
distributions of raindrops from convective storms, for
example, can be described by analytical functions that
have been fitted to observational data by specifying
two or three parameters, as shown in Figure 3. An
exponential function, one subclass of which is referred
to as a ‘Marshall–Palmer’ distribution, has the form

nðDÞ ¼ C exp ð�lDÞ ½1�

where C and l are the parameters fitted to the
measured number concentration nðDÞ of drops within
a unit size interval about diameter D. Exponential
distributions are used frequently because only two
parameters need to be specified. However, as the
dashed line in Figure 3 shows, exponential distribu-
tions often over estimate the number of smaller drops.

A more general form, the modified gamma distribu-
tion,

nðDÞ ¼ CDm exp ð�lDÞ ½2�

attempts to correct this deficiency, although at the
expense of requiring an additional parameter, m. At
least for the data shown in Figure 3, a log-normal
function of the form

nðDÞ ¼ NTffiffiffiffiffiffi
2p

p
D ln s

exp ð� ln2 ðD=DgÞ=2 ln2 sÞ ½3�

works well with appropriate choices of the three
parameters,NT ,s, andDg. It is important to recognize
that all size spectra simply describe the cloud micro-
structure without regard to the mechanisms that
produced it.

Warm-Cloud Microphysics

The liquid drops in ‘warm’ clouds evolve spectrally via
sets of microphysical processes that interact in com-
plicatedwayswith the larger-scale cloud environment.
The process of condensation, for instance, starts
during upward motions of the moist air and continues
even as the drops interact with themselves and grow
into raindrops. As the cloud updraft entrains dry
environmental air, ceases or possibly reverses, evapo-
ration may dominate for a time and change the
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microstructure in important ways. The ever-changing
population of drops often influences the very atmos-
pheric motions that spawned the drops in the first
place.

Droplet Formation

The many small droplets in a cloud form initially as
excess vapor condenses onto the larger, more soluble
aerosol particles (i.e. , onto theCCN). The solute in the
CCN lowers the equilibrium vapor pressure of the
liquiddroplets throughmolecular-scale effects,where-
as the droplet curvature increases it.

These two opposing effects of solute and curvature
are typically combined in Köhler theory to give the

equilibrium saturation ratio SK as a function of the
droplet radius r:

SK ¼ aw exp ðA=rÞ ½4�
Here, the first factor on the right-hand side of eqn [4]
describes the vapor pressure-lowering effect of the
solute in terms of the water activity aw ¼ 1� ixs,
where xs is the mole fraction of nonvolatile solute that
effectively dissociates into i molecular or ionic com-
ponents. The second factor in eqn [4] accounts for the
vapor pressure-raising effect of droplet curvature, in
which A ¼ 2sLV=ðnwRTÞ is a function of the physi-
cally relevant variables, the liquid–vapor surface free
energy sLV(5 72mJm� 2), the liquid–water density
nw ð¼ 5:5�104 molm� 3), the universal gas constant
R ð¼ 8:31 Jmol�1K� 1), and the temperature T.
Because each droplet grows by the simple addition of
water, its total solute content ms remains constant.
Equation [4] is thus most conveniently expressed in
terms of the supersaturation needed to maintain
equilibrium with the solution droplet:

sK � SK � 1 ¼ A

r
� Bims

r3
½5�

where B ¼ 3=ð4pnwÞ and approximations suitable for
initial cloud formation have been made.

The properties of the aerosol involved in cloud
formation are often depicted graphically. Equation [5]
can be seen to represent a family of ‘Köhler’ curves of
constant solute content, as shown in perspective form
in Figure 4. The competing effects of solute and
curvature yield a clear maximum in the equilibrium
saturation ratio, which must be overcome by the
ambient supersaturation before the particle can ‘acti-
vate’ and grow spontaneously as a cloud droplet. The
larger the salt particle, the smaller is the ‘critical
supersaturation’ that needs to be exceeded. Note that
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Figure 4 Perspective view of Köhler curves expanded along the

solute axis. Each curve is valid for a constant mass of NaCl, the

nonvolatile solute in this case.

462 CLOUDMICROPHYSICS



the critical supersaturation is especially pronounced
for particles with the smallest solute contents, so small
particles may never experience sufficiently high ambi-
ent supersaturations to become activated. Such par-
ticles would remain as submicrometer haze droplets
interstitially within the cloud.

Growth by Condensation

Individual cloud droplets that are actively growing in
an updraft act in effect as tiny sinks of water vapor.
During net condensation, the concentration of vapor
immediately over each droplet surface (within a few
mean free paths of the air molecules) is reduced
relative to the average vapor concentration far from
the droplet. The radial gradients of vapor concentra-
tion thus established give rise to a net flux of vapor
molecules toward the drop by the process ofmolecular
diffusion. Even though the water molecules must also
be transported across the liquid–vapor interface, it is
the vapor diffusion step that tends to limit the mass
transport under most cloud conditions. Nevertheless,
the change of phase from vapor to liquid results in a
slight warming of the droplet owing to the added
enthalpy of condensation, energy that must be con-
ducted through the air and away from thedroplet.This
energy consequence of condensation raises the equi-
librium vapor pressure of the liquid and imposes an
additional limitation to the growth rate.

The theory that simultaneously accounts for the
exchanges of vapor and energy between a growing
droplet and the surrounding air was first developed by
Maxwell in the nineteenth century. The resulting
expression for the linear growth rate is

dr

dt
¼ G s� sKð Þ 1

r
½6�

whereG is a growth parameter that varies slowly with
the temperature and pressure. Note that a droplet
grows only to the extent that the ambient super-
saturation, s, exceeds the equilibrium value, sK.
As r becomes large, sK ! 0 and the growth rate
dr=dt / 1=r, indicating that the droplets grow rela-
tivelymore slowly as they become bigger. Calculations
based on eqn [6] show that individual droplets
experiencing a supersaturation of 1% require hun-
dreds of seconds to grow to radii much beyond 10 mm.

A population of growing cloud droplets derives its
water from a common supply, namely the vapor
initially carried with the rising air parcel. Competition
for the available vapor among all the droplets sets up a
strong interplay between the condensation kinetics
and the vapor field. Results from numerical computa-
tions of droplet growth within an adiabatic parcel are
shown in Figure 5 for the case of a relatively clean

maritime environment. The supersaturation (dashed
curve) builds up until vapor is removed at a rate
comparable to the rate that excess vapor is generated
due to adiabatic ascent. Once the maximum in the
ambient supersaturation is reached, no new particles
can be activated, so the initial number concentration
of cloud droplets is established low in the cloud. The
close packing of the curves on the right-hand side of
Figure 5 indicates that the droplets tend to bunch
together in radius. This narrowing of the drop spec-
trum is an inherent property of adiabatic condensation
and poses a hindrance to the formation of precipita-
tion.

Collisional Interactions

Individual pairs of cloud drops occasionally collide
with one another. If two drops ‘coalesce’ during a
particular collision, a single, larger drop replaces the
two parent drops in the cloud. Repeated collision–
coalescence events lead eventually to large drops that
fall rapidly and become raindrops.

The growth of drops through collisional interac-
tions may be quantified by consideration of the
separate probabilities for collision and for coales-
cence. Most commonly, collisions result when a lar-
ger drop (the collector drop) overtakes a smaller drop
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(the collected drop) during its fall through the air.
However, not all drops in the geometrical path of the
collector experience collisions, for the simple reason
that the air deviating around the collector drop
‘pushes’ the smallest drops out of theway. The fraction
of drops in the path of the collector that do collidewith
it is the ‘collision efficiency’,E, a complicated function
of both the collector- and collected-drop sizes. The
maximum collision efficiency can approach unity
when the collector-drop radii are greater than about
40mmand the collected-drop radii exceed about 5 mm.
However, for collector radii less than about 20 mm, the
collision efficiency becomes very small. The ‘coales-
cence efficiency’, e, the fraction of drop–drop colli-
sions actually resulting in the formation of a larger
drop, is often less than unity for larger collected drops
because of drop distortion and the trapping of air at
the point of collision. The ‘collection efficiency’ (Ec),
the product of the collision and coalescence efficien-
cies, Ec ¼ Ee, typically reaches a weak maximum at
intermediate collected-drop radii. The collection effi-
ciency provides an overall indication of the effective-
ness of drop growth by collision–coalescence.

Collision–coalescence becomes a powerful mecha-
nism for generating raindrops under appropriate
microphysical conditions. Because of the de facto
thresholds that exist on both the collected and
collector drop sizes, collision–coalescence tends to
begin in the tail of the cloud drop size distribution, as
seen in Figure 6. Initially, only a tiny fraction of the
bigger droplets will collide and coalescence with
neighboring droplets, yielding slightly larger droplets
that then have enhanced probabilities of collecting
additional droplets. The growth process accelerates as
the collection efficiencies increase and other drops join
this favored subset of the drop population. Eventually,

a new mode in the drop size distribution emerges, as
shown by the maxima toward the right-hand side of
Figure 6. Once the drops in this large-drop mode
exceed a few hundred micrometers, they grow rapidly
in mass at a more or less continuous rate given by

dm

dt
¼ Kðrl; rsÞoL ½7�

where Kðrl; rsÞ ¼ pðrl þ rsÞ2Ecðvl � vsÞ is the collec-
tion kernel andoL is the liquidwater content (mass per
unit volumeof cloudy air). The collection kernel is best
viewed as the effective volume of cloudy air (contain-
ing small droplets of radius rs, each falling at rate vs)
that is swept out in unit time by the collector drop
of radius rl having fallspeed vl. In this continu-
ous-growth regime (in which rs � rl; vs � vl; vl / rl,
and Ec ¼ 1), one finds to first approximation
dm=dt / r3l / m. Thus, once the collision–coales-
cence process gets started, the large drops increase in
mass (and size) exponentially with time, until the
supply of cloud droplets is exhausted or the drops
rupture.

Cold-Cloud Microphysics

Clouds become ‘cold’ once ice particles form and
become active players in the cloud microphysics.
Whereas ice particles are necessary components of
cold clouds, the liquid drops are nevertheless often
present and important to the evolution of the cloud
microstructure. The mixed-phase zone of a cloud,
where the ice particles and liquid drops interact, is
microphysically the most active portion of a cloud.
‘Glaciation’, the transformation of a cloud from
supercooled liquid drops to ice particles, is compli-
cated by the diversity of the interactions that can
take place.

Ice Formation

Ice can formonce the liquid drops have supercooled by
at least 51C, although the supercooled state can persist
in some clouds to temperatures as low as �401C. The
first ice particles in a supercooled cloud appear most
commonly when the temperature is between �10 and
�151C following ‘primary nucleation’, a process by
which submicrometer, insoluble aerosol particles cat-
alyze ice formation by acting as molecular templates
for the crystal lattice. Such primary ice particles may
form directly from the vapor phase (via ‘deposition
nucleation’), but more commonly they arise from the
freezing of supercooled cloud droplets (via ‘freezing
nucleation’). The freezing of droplets at relatively high
temperatures (greater than about �181C) tends to
yield single crystals that grow subsequently into
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crystallographically aligned double plates. At lower
temperatures, however, the probability of forming
multiple crystalswithin a single droplet becomes large,
giving rise to polycrystalline forms, such as bullet
rosettes.

Some ice particles form because of the prior exist-
ence of other ice particles. Such ‘secondary’ ice
particles arise via several mechanisms, none of which
are fully understood. In some situations, crystals may
‘fragment’, such aswhen the delicate arms of dendrites
break off, thereby increasing the ice particle number
concentration.When conditions are just right, aswhen
the temperature is between about �3 and �81C, and
‘graupel’ particles are actively growing by riming (i.e.,
accreting supercooled cloud water), tiny splinters of
ice may be released that subsequently grow into
columnar ice crystals. The self-breeding, or ‘multipli-
cation’, of ice seems to be important in clouds that
glaciate rapidly.

Growth by Vapor Deposition

Individual ice particles grow initially by the deposition
of vapor onto their surfaces. As with the growth
of a cloud droplet by condensation, water molecules
must first diffuse to the particle surface from the
supersaturated vapor field surrounding the particle.
However, the transport of molecules across the
vapor–solid interface cannot be ignored, if for no
reason other than the need to account for facets
and the nonspherical shapes of the ice particles.
The molecular-scale processes on the crystal surface
involve migration of molecules across the surface,
from the point of first contact to a step that may
be a micrometer or more away. As the step gathers
adsorbed molecules, it propagates across the surface,
contributing an additional layer (of thickness equal
to the step height) of molecules to the lattice. The
rate of advancement of the crystal face is determined
largely by the frequency with which the steps
are generated, a factor that depends on whether the
steps originate from two-dimensional layer nucleation
or from the emergence of screw dislocations on the
surface.

The aspect ratio of an ice crystal reflects the relative
rates of growth of the basal and prism faces. For
reasons that remain largely unknown, the linear
growth rates varywith the temperature in complicated
ways, giving rise to the observed alternation of
primary habit between plates and columns with
temperature (as depicted in Figure 2). At relatively
large supersaturations with respect of ice, the vapor
gradients in the vicinity of a given crystal face become
important, leading to the bunching of steps, the
‘hollowing’ of the face near its center, and a myriad

set of secondary habit features superimposed on
the primary habit. Good physical reasons exist why
one seldom if ever finds any two ice crystals alike in
nature.

Riming and Aggregation

Riming and aggregation are both processes involving
collection. As in warm clouds, collisions between
particles must first occur, then the colliding particles
must stick together to form a combined particle. In the
case of riming, an ice particle collects supercooled
droplets that freeze on contact with the ice surface. By
contrast, aggregation involves the collisional interac-
tion of two ice particles, with no change of phase.
Aggregation is a complicated process, in part because
snowflakes fall erratically and because two solid
particles may simply bounce apart after colliding.
Snow crystals are most likely to stick together at
temperatures within a few degrees of themelting point
(because of sintering) and when the arms of dendrites
can interlock.

Growth via the riming process occurs by stages that
depend on particle size and the rate at which super-
cooled droplets are accreted. Initially, during
the ‘crystal stage’, the rate of accretion is slow, the
collision efficiency becoming appreciable only once
the vapor-grown crystal attains an a-axis dimension
of about 150 mm for plates, 25 mm for columns.
The crystal becomes lightly to moderately rimed,
but the crystal morphology remains identifiable.
The growth is termed ‘dry’ because each droplet
freezes rapidly on the spot of impingement. The
‘graupel stage’ begins once the crystal identity
becomes obscured by the shroud of ‘dry’ rime ice on
the particle. During this and the subsequent ‘hail
stage’, the ice particle grows in mass at rates described
reasonably well by eqn [7], with suitable adjustments
in the parameters. The hail stage is distinguished from
the graupel stage by the formation of one or more
layers of clear ice, which results when the rate of
accretion exceeds the ability of the particle to dissipate
the enthalpy added by the freezing of the supercooled
water. Such ‘wet’ growth occurs when the surface
temperature rises to 01C and the accreted liquid
spreads across the surface before freezing. Hailstones
represent one extreme to which the microstructure of
clouds can evolve.

Precipitation

Precipitation, whether as rain, snow, sleet, or
hail, generally results once the aqueous particles in a
cloud have grown sufficiently large to fall against the
local updraft. In the case of a stratiform cloud, one
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characterized by rather weak and uniform updrafts
over a broad area, the precipitating particles may
simply fall out through the base of the cloud, in the
process depleting condensate from the cloud and
depositing it on the ground. On the other hand, in
convective storms, in which large local updraft speeds
can aerodynamically support big particles, the precip-
itation itself may influence the motions of air though
the cloud. The large mass associated with the precip-
itation commonly initiates a downdraft along the edge
of the updraft, causing the microphysical and dynam-
ical aspects of cloud evolution to become intertwined
in complicatedways.As an aid to the discussionbelow,
Figure 7 offers a summary of the various processes
operating in the ‘warm’ and ‘cold’ parts of a repre-
sentative convective cloud during precipitation
formation.

In the warm parts of clouds, large drops can emerge
out of the stable population of cloud droplets only
through collisional interactions. Condensational
growth alone is too slow, but it must be recognized
as a necessary process, for the numerous cloud
droplets serve as the feedstock for the growth of the
larger drops. The collision–coalescence process be-
comes an effective mechanism for breaking the
colloidal stability of the cloud once the threshold size
(B25 mm in diameter) for collection has been over-
come. The needed ‘coalescence embryos’ can arise
from the droplet population itself (most commonly in

clean, maritime environments or during turbulent
mixing), alternatively from ‘giant nuclei’ in dusty
regions. Once the warm-rain mechanism is estab-
lished, the rain drops grow rapidly by sweeping out the
smaller cloud droplets until they themselves become
unstable and break into fragments during their fall to
earth.

In the cold parts of a cloud, the colloidal stability of
the cloud is broken once the ice phase has been
nucleated in the presence of supercooled droplets. This
‘ice crystal’ mechanism, often termed the Bergeron
process, arises from the inherent difference in the
equilibrium vapor pressures of liquid and solid water.
The relatively lowvaporpressure of ice comparedwith
that of the droplets at any given temperature gives the
ice crystals a growth advantage by causing water
vapor to transfer (via diffusion) from the many cloud
droplets to the fewer ice crystals. The process proceeds
rapidly, especially in the temperature range between
�12 and �151C, permitting the ice crystals to attain
sizes sufficient to initiate the other cold-cloud growth
mechanisms, such as aggregation and riming. These
large ice particles eventually fall into the warm part of
the cloud, where they may melt and join the popula-
tion of raindrops formed by the collision–coalescence
process. The ice process can be an effective initiator of
precipitation in both stratiform clouds and summer
thundershowers.

The efficiencies with which clouds develop
precipitation depend partly on the types of micro-
physical processes that are active and partly on the
environmental settings in which the clouds form.
For instance, the relative ease with which ‘maritime’
clouds release precipitation compared with ‘continen-
tal’ clouds most likely stems from the differences in
aerosol abundance found in the different airmasses.
The relative absence of active sources of aerosol
particles over the open oceans allows the CCN
concentrations to become low, which in turn means
that those droplets that do form in maritime
clouds tend to be larger on average than those in
continental clouds. The collision–coalescence process
thus gets started early in the life cycle of maritime
clouds, providing such clouds with a decisive
microphysical mechanism for developing precipita-
tion. Within a given climatic regime, storm organiza-
tion on the mesoscale seems to be an important
contributor to precipitation efficiency. Low magnitu-
des of vertical wind shear at the time of cloud
formation tend to favor vertically erect storms
with high precipitation efficiencies, presumably
because the incipient precipitation particles can then
fall directly through the condensate-rich inflow of the
storm.At the same time, however, such systems tend to
be short-lived and yield relatively small total amounts
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of precipitation. Storms that form in environments in
which the wind varies modestly with height in both
speed and direction last longer and yield the most
precipitation, for then synergism ensues between
the dynamical time scales of the storm and the time
scales for the microphysical processes to operate
effectively.
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Introduction

The classification of clouds and reports by observers of
their coverage have taken on considerable value in
recent years. Those reports now provide a quite long-
term record in which changes in cloud coverage and
type may be discerned that might not be detectable in
the relatively short record of satellite data.

The classification system, was, of course, formulat-
ed and revised on the basis of visual attributes,without
the benefit of in-cloud measurements. Airborne meas-
urements would have delineated the internal compo-
sition of clouds that appear somewhat similar and
have common labels but are very different in compo-
sition (e.g., stratus and altostratus). In this article,
airborne measurements of cloud composition will be
used where possible to augment the composition of
clouds.

What is a Cloud?

Asdefinedby theWorldMeteorologicalOrganization,
a cloud is an aggregate of minute, suspended particles
of water or ice, or both, that are in sufficient
concentrations to be visible: a collection of ‘hydrome-
teors’, a term that also includes in some cases, due to
the distance of the observer, the precipitation particles
that fall from them. Today the term ‘cloud’ also
includes those clouds that are nearly invisible to the
human eye but are readily detectable in satellite
thermal imagery.

Clouds are tenuous and transitory; no single cloud
exists for more than a few hours, and most small
clouds in the lower atmosphere exist for only a few
minutes. In precise numbers, the demarcation between
a cloud and clear air is even hard to define: how many
cloud drops per liter constitute a cloud? When are ice
crystals and snow termed ‘clouds’ rather than precip-
itation? When are drops too large to be considered
‘cloud’ drops, but rather raindrops? These questions
are difficult for scientists to answer in unanimity
because the difference between cloud particles and
precipitation particles, for example, is not black and
white; rather they represent a continuumof fallspeeds.
For some scientists, a 50mm diameter drop represents

CLOUDS / Classification 467



a ‘drizzle’ drop because it must have formed from
collisions with other drops with coalescence; but for
others it may be termed a ‘cloud’ drop because it falls
too slowly. Also, the farther an observer is from falling
precipitation, themore it appears to be a ‘cloud’ due to
perspective. For example, many of the higher ‘clouds’
above us, such as cirrus and altostratus are composed
mainly of ice crystals and snowflakes that are settling
toward the Earth, and would not be considered a
‘cloud’ by an observer inside them, but rather a light
snowfall.

Origin of the Present-Day Cloud
Classification System

The process of classifying objectively the many shapes
and sizes of something as ephemeral as a cloud was
first accomplished at about the beginning of the
nineteenth century by English chemist Luke Howard,
in 1803, and French naturalist Jean Baptiste Lamarck
(1802). Both published systems of cloud classification.
However, because Howard used Latin descriptors of
the type that scientists were already using in other
fields, his descriptions appeared to resemble much of
what people saw, and because he published his results
in a relatively well-read journal, Tilloch’s Philosoph-
icalMagazine, Howard’s system became accepted and
was reproduced in books and encyclopedias during the
ensuing years.

Howard observed, as had Lamarck, that there were
three basic cloud regimes. There were fibrous and
wispy clouds that he called ‘cirrus’ (in Latin meaning
‘hair’); sheetlike laminar clouds that covered much or
all of the sky that he referred to as ‘stratus’ (meaning
flat); and clouds that were less pervasive but had a
strong vertical architecture that he called ‘cumulus’
(meaning ‘heaped up’). Howard used an additional
Latin term ‘nimbus’ (Latin for cloud) to refer to a
cloud or system of clouds from which precipitation
fell. Today, nimbus itself is not a cloud, but rather a
prefix or suffix to denote the two main precipitating
clouds, nimbostratus and cumulonimbus. The ques-
tion of clouds and their types generated such enthu-
siasm among naturalists in the nineteenth century that
an ardent observer, RalphAbercromby, also amember
of the British Royal Meteorological Society, took two
voyages around the world to make sure that no cloud
type had been overlooked!

Later, the emerging idea that clouds tended to
occupy just two or three levels in the atmosphere was
verified bymeasurements in Uppsala, as well as at sites
in Germany and in the United States in the 1880s,
using theodolites and photogrammetry to measure
cloud heights. These measurements eventually led to

the concept of low, middle, and high cloud groupings
into which Howard’s cloud types were more system-
atically placed by H. Hildebrandsson, Director of the
Uppsala Observatory, and Abercromby in their 1887
classification. Also by then cumulus and cumulonim-
bus clouds became a fourth distinct category repre-
senting ‘convective’ clouds, those with appreciable
upcurrents. Howard’s now modified classification
system was reexamined at the International Meteor-
ological Conference at Munich in 1891, followed by
the publication of a color cloud atlas in 1896. At this
point, the definitions of clouds had reached nearly
their modern forms. Additional international com-
mittees made minor modifications to the system in
1926 that were realized with the publication of the
1932 International Cloud Atlas. For example, a
precipitating stratiform cloud became nimbostratus
rather than just nimbus. Little change has been made
since that time. Themost comprehensive version of the
classification system was published by the World
Meteorological Organization in 1956, and pictorially
updated in 1989with the introduction of photographs
from more disparate locations than in the previous
Atlas.

There are ten types or ‘genera’ intowhich clouds are
classified: cirrus, cirrostratus, cirrocumulus, altostra-
tus, altocumulus, nimbostratus, stratocumulus, stra-
tus, cumulus, and cumulonimbus. Table 1 is a partial
list of the nomenclature involving the most commonly
seen species and varieties of these clouds. Figures 1 to
10 illustrate these main forms.

The three cloud height regimes are ‘high’ clouds,
those with bases generally above 7 km above ground
level (AGL); ‘middle-level’ clouds, those with bases
between 2 and about 7 km AGL; and ‘low’ clouds,
thosewithbases at or below2kmAGL. ‘About’ is used
because cloudswith certain visual attributes thatmake
them, for example, a ‘middle-level’ cloudmay actually
have a base that is above 7 km. Similarly, inwintertime
or in the arctic, ‘high’ clouds with cirriform attributes
(fibrous and wispy) may be found at heights below
7km. Also, some clouds that are still considered low
clouds (e.g., cumulus clouds) can have bases that are a
kilometer ormore above the general ‘low cloud’ upper
base limit of 2 kmAGL.Hence, these cloudbase height
boundaries should be considered somewhat flexible.
Note that what is classified as an altocumulus layer
when seen from sea level will be termed a stratocu-
mulus layer when seen by an observer at the top of a
high mountain.

The classification of clouds is also dependent on
their composition, because the composition of a cloud
– all liquid, all ice, or amixture of both – determines its
visual attributes on which the classifications are
founded (e.g., luminance, texture, color, opacity, and
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the level of detail of the cloud elements). For example,
an altocumulus cloud cannot contain too many ice
crystals and still be recognizable as an altocumulus
cloud. It must always be composed largely of water
drops to retain its sharp-edged compact appearance.
Thus, it cannot be too high and cold. On the other
hand, wispy trails of ice crystals comprising cirrus
clouds cannot be too low (and thus, warm). Therefore,
having the ability to assess the composition of clouds
(i.e., ice vs. liquid water) visually can help in the
determination of a cloud’s height.

There are other important attributes for identifying
a cloud: How much of the sky does it cover? Does it
obscure the Sun’s disk? If the Sun’s position is visible, is
its disk sharply defined or diffuse? Does the cloud
display a particular pattern such as small cloud
elements, rows, billows, or undulations? Is rain or
snow falling from it? If so, is the rain or snow falling

from it concentrated in a narrow shaft, suggesting
heaped cloud tops above, or is the precipitation
widespread with little gradation, a characteristic that
suggests uniform cloud tops? Answering these ques-
tions will allow the best categorization of clouds into
their ten basic types.

High Clouds

Cirrus, cirrostratus, and cirrocumulus clouds (Figures
1, 2, and 3, respectively) comprise ‘high’ clouds. By
WMO definition, they are not dense enough to
produce shading except when the sun is near the
horizon, with the single exception of a thick patchy
cirrus variety called cirrus spissatus in which gray
shading is allowable. Cirrus and cirrostratus clouds are
composed of ice crystals with, perhaps, a few momen-
tary exceptions just after forming and when the
temperature is higher than � 401C. In this case,
droplets may be present briefly at the instant of
formation. The ‘bases’ of cirrus and cirrostratus
clouds, composed of generally low concentrations of

Table 1 The ten cloud types and their most common species and varieties (after theWorld Meteorological Organization.) The letters in

parentheses denote accepted abbreviations

Genera Species Varieties

Cirrus (Ci) uncinus, fibratus, spissatus, castellanus intortus, radiatus, vertebratus

Cirrostratus (Cs) nebulosus, fibratus

Cirrocumulus (Cc) castellanus, floccus, lenticularis undulatus

Altocumulus (Ac) castellanus, floccus, lenticularis translucidus, opacus, undulatus, perlucidus

Altostratus (As) none translucidus, opacus

Nimbostratus (Ns) none none

Stratocumulus (Sc) castellanus, lenticularis perlucidus, translucidus opacus

Stratus (St) fractus, nebulosus

Cumulonimbus (Cb) calvus, capillatus,

Cumulus (Cu) fractus, humilis, mediocris, congestus

Figure 1 Cirrus. Figure 2 Cirrostratus.

CLOUDS / Classification 469



ice crystals that are about to evaporate, are usually
colder than � 201C. The coldest cirriform clouds (i.e.,
cirrus and cirrostratus) can be � 801Cor lower in deep
storms with high cloud tops (415km above sea level),
such as in anvils associatedwith thunderstormoutflow.

Because of their icy composition, cirrus and cirro-
stratus clouds are fibrous, wispy, and diffuse. This
‘wispy’ and diffuse attribute arises because the ice
crystals that comprise them are overall in much lower
concentrations (often an order of magnitude or more)

than are the droplet concentrations in liquid water
clouds. In contrast, droplet clouds look hard and
sharp-edged with the details of the tiniest elements
clearly visible. The long filaments often comprising
cirriform clouds are due to larger ice crystals falling
out in narrow, sloping shafts because of wind shear.
Due to the slow settling of ice crystals soon after they
form, mature cirrus and cirrostratus clouds are often
1 km or more thick, though the Sun may not be
appreciably dimmed.

Figure 3 Cirrocumulus.

Figure 4 Altocumulus.

Figure 5 Altostratus.

Figure 6 Nimbostratus.
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Cirrus and cirrostratus clouds often produce haloes
when viewed from the ground,whereas thickermainly
ice clouds such as altostratus clouds (see below)
cannot. This is because the cirriform clouds consist
of small, hexagonal crystals such as thick plates, short
solid columns, that refract the Sun’s light as it passes
through them. Altostratus clouds, in contrast, are
much deeper and are therefore composed of much
larger, complicated ice crystals and snowflakes that
do not permit simple refraction of the Sun’s light.
However, since altostratus clouds often have tops that

are at the same altitudes and temperatures as cirriform
clouds, haloes are often observed near the tops of
altostratus clouds when aircraft ascend through them.
In this upper cloud region the ice crystals are virtually
the same as those in halo-producing cirriform clouds.
Parhelia (‘sun dogs’) can be observed in thin portions
of altostratus when the Sun is low in the sky. Parhelia
occur as platelike ice crystals fall with their faces
downward.

Cirrocumulus clouds are patchy, finely granulated,
and, because of a definition that allows no shading, are

Figure 7 Stratus.

Figure 8 Stratocumulus.

Figure 9 Cumulus.

Figure 10 Cumulonimbus.
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very thin (less than 200m thick). The largest of the
visible cloud elements can be no larger than the width
of a finger held skyward when observed from the
ground; an apparent size larger than this classifies the
cloud as an altocumulus. Cirrocumulus clouds are
composed mostly or completely of water droplets.
(Some especially high and cold cirrocumulus clouds
are onlymomentarily comprised ofwater drops before
evolving into cirrus clouds composed entirely of ice
crystals.) The liquid phase of these clouds can usually
be deduced when they are near the Sun; a corona or

irization (also called iridescence) is produced due to
the diffraction of sunlight by the cloud’s tiny (o10 mm
diameter) droplets.

Middle-Level Clouds

Altocumulus, altostratus, and nimbostratus clouds
(Figures 4, 5, and 6, respectively) are considered
‘middle-level’ clouds because their bases are located
between about 2 and 7 km AGL (see discussion
concerning the variable bases of nimbostratus clouds
below.) These clouds are generally the product of slow
upcurrents (centimeters per second) taking place in the
middle troposphere over an area of thousands of
square kilometers. Gray shading is expected in alto-
stratus, and is generally present in altocumulus clouds.
It is this property of shading that immediately differ-
entiates them from being ‘high’ clouds. Nimbostratus
clouds by definition are dark gray and the Sun cannot
be seen through them.

Altostratus and altocumulus are different from one
another in the same way that cirrus and cirrostratus
clouds are different from cirrocumulus clouds; in
altocumulus clouds, droplets predominate that gives
them a crisp, sharper-edged look. In altostratus clouds
ice crystals and snowflakes dominate or comprise the
entire cloud, giving it a diffuse, fibrous look. The
appearance of altocumulus and altostratus clouds has
long been a marker for deteriorating weather in the
hours ahead.

In spite of their name, altocumulus clouds are
generally rather flat clouds that strongly resemble
stratocumulus clouds. An exception to this overall

Figure 11 Altocumulus castellanus.

Figure 12 Altocumulus lenticularis.

Figure 13 Cumulonimbus calvus.
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laminar architecture is in those species of altocumulus
called castellanus and floccus. In this form altocumu-
lus clouds resemble miniature, lofted cumulus clouds
in rows or patches. Altocumulus clouds are distin-
guished from cirrocumulus because they are lower and
the cloud elements in altocumulus are, or appear from
the ground to be, several times larger than those in
cirrocumulus clouds. For example, the elements of an
altocumulus cloud are typically the width of three
fingers held skyward at the ground. Also, shading
toward the center of the thicker elements is usually
present in altocumulus clouds, a property that is not
allowed in the classification of cirrocumulus clouds.
Altocumulus clouds are distinguished from stratocu-
mulus because they are higher above ground level than
stratocumulus (at least 2 km) and because the individ-
ual cloud elements in altocumulus are, or appear from
the ground to be, smaller than those in stratocumulus.

In spite of the gray shading that may be present,
altocumulus clouds are rarely more than 1 km thick.
This is because the concentrations of drops in droplet
clouds are relatively high (typically 50 000 to 200 000
per liter). This density of particles produces an ‘optical
depth’ in which the Sun’s disk can be obscured (optical
depth of 4 ormore) by an altocumulus cloud layer only
300–500m thick. The same is true for stratocumulus
clouds.

Altocumulus clouds sometimes sport patchy ‘virga’.
Virga is light precipitation that falls from a cloud but
evaporates before it reaches the ground. Because virga
is almost always due to falling snow, it appears fibrous,
often with striations or long filaments that often far
surpass the depth of the cloud from which it is falling,
and can appear to be quite dense. Altocumulus clouds
with virga are predominantly those clouds whose
temperatures are lower than � 101C. However, at the
same time, they are rarely colder than about � 301C
because at very low temperatures they are likely to
take on the attributes of ice clouds such as cirrus or its
thicker brethren, altostratus.

The species of altocumulus clouds called altocumu-
lus castellanus has always had a special significance in
meteorology (Figure 11) because these clouds reveal
an unstable lapse rate in the middle troposphere.
Instability of this sort has been viewed as a marker for
releases of deeper convection in the hours ahead.
Occasionally, the castellanus clouds group and enlarge
into cumulus and cumulonimbus clouds.

When the winds are relatively strong aloft (greater
thanabout 20m s� 1) andmoderatelymoist, but stable
lapse rate conditions are present, a species of altocu-
mulus called ‘lenticularis’ (lens or almond-shaped)
may form over or downwind of mountains. Altocu-
mulus lenticularis clouds (Figure 12) can hover over
the same location for minutes to hours while expand-

ing and shrinking in response to fluctuations in the
relative humidity of the air mass being lifted over the
terrain. Because the conditions under which these
clouds form are most often associated with advancing
short wave troughs in the middle and upper atmos-
phere and their accompanying regions of lowpressure,
lenticularis clouds are usually precursors to deterio-
rating weather.

In altostratus clouds (Figure 5), the dominance of ice
causes a diffuse, amorphous appearance with striat-
ions or fallstreaks on the bottombecause anobserver is
viewing relatively low concentrations of precipitation
particles rather than a ‘cloud’ per se. Altostratus
clouds are rarely less than 2 km thick and often have
tops at the same heights as cirrus and cirrostratus
clouds. Therefore, they are considerably colder than
altocumulus clouds and span a much greater temper-
ature range. They also, by definition, cover the sky or
at least wide portions of it, and produce a dull, gray,
and often relatively featureless base or one with trails
of noticeable virga. Precipitation is usually imminent
when altostratus clouds cover the sky.

The relatively low concentrations of large particles
in some altostratus clouds (tens per liter) can allow the
Sun’s position to be seen as though looking through
‘ground glass’, such that the position of the Sun is
apparent but the outline of its disk is not. This often
occurs evenwhen the cloud layer is, contrary to its thin
appearance, two or more kilometers thick (transluci-
dus variety).

When the top of an altostratus cloud layer iswarmer
than about � 301 to � 351C, it is not uncommon to
find, somewhat surprisingly, a thin droplet cloud
similar to an altocumulus cloud layer where the ice
below was initiated. The survival, growth, aggrega-
tion, and breakup of ice crystals over a great depth
usually obscures the ice-producing droplet cloud top
fromanobserver at the ground,who sees only the dark
gray fibrous ‘base’ of the altostratus cloud.

Optical phenomena associated with altostratus
clouds are limited to parhelia (‘sun dogs’). However,
because the composition of the uppermost regions of
the deepest altostratus clouds is virtually identical
with cirriform ice clouds with simpler, smaller ice
crystals, haloes often appear to those in an aircraft
nearing the top of altostratus clouds.

Nimbostratus clouds (Figure 6) are virtually iden-
tical to altostratus clouds in their composition except
that their ‘bases’ are usually perceived from the ground
as lower than in altostratus, from which it has usually
derived by a downward thickening. They therefore
often appear somewhat darker. The perceived ‘base’ of
nimbostratus is due to snowflakes that aremelting into
rain drops. This is because the greater opacity of snow
gives the impression of a ‘base’ or sharp increase in
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thickness at the melting level. Thus, without lower
clouds such as stratocumulus to obscure nimbostratus,
it can be perceived at ‘mid-levels’ on a day when the
freezing level is relatively high (above 2 km), such as in
southern latitudes or the tropics, and be seen as a ‘low’
cloud when the freezing level is low, as in northern
latitudes in the winter.

Nimbostratus clouds produce relatively steady pre-
cipitation that often continues for hours at a time.
They are not clouds responsible for passing showers
with periods of sunshine between. As with other sheet
clouds, they are due to a gradual ascent of the air over a
large region, usually in advance of traveling low-
pressure areas associated with upper-level short wave
troughs.

The tops of dark, steadily precipitating nimbostra-
tus clouds can be as shallow as 2–3 km and even be
above freezing in temperature, or they may reach
above 13 km (at cirriform cloud levels) and be as cold
as � 801C. At elevations above the freezing level,
nimbostratus is largely composed of ice crystals and
snowflakes, though embedded thin (supercooled)
droplet cloud layers similar to altocumulus clouds
are relatively common. Also, similarly to altostratus
clouds, when the temperature at the top of nimbo-
stratus clouds is above about � 301 to � 351C, a thin
droplet cloud layer may be found in which the first ice
crystals are spawned and released.

A broken-to-overcast layer of shallow stratus or
stratocumulus clouds often resides at the bottom of
nimbostratus clouds. Such lower layers may obscure
the deep cloud producing the precipitation. However,
while usually not precipitating themselves, these lower
cloud layers are important in enhancing the amount of
rain or snow that falls from nimbostratus clouds. This
is because of the accretion or riming of the relatively
small cloud drops in the lower clouds by the rapidly
falling precipitation-sized particles from the nimbo-
stratus layer above. This enhancement is especially
evident in hilly or mountainous regions.

Cumulonimbus clouds (see below) may also be
embedded in nimbostratus clouds. The presence of
such clouds within nimbostratus is evident by sudden
gushes of much heavier rain and sometimes lightning
within a context of relatively steady rain.

Low Stratiform Clouds

Stratus and stratocumulus clouds (Figures 7 and 8,
respectively) are shallow stratiform clouds, almost
always less than 1 km thick. They are composed of
droplets unless the cloud top is cooler than about � 5
to � 101C, in which case ice crystals may form.
Stratocumulus clouds differ from stratus clouds be-

cause they have a rather lumpy appearance at cloud
base with darker and lighter regions due to embedded
weak convection. Also their bases tend to be higher,
and more irregular in height than those of stratus
clouds. Stratus presents a smoother, lower, more
uniform sky than does stratocumulus cloud because
the internal convective overturning that produces
lighter and darker regions is slight. Drizzle (precipita-
tion comprising dropso500 mm diameter that almost
float in the air) is likely to form in clean environments
in which cloud droplet concentrations are about
100 cm�3 or lower. For example, drizzle is common
from both stratus and stratocumulus clouds at sea and
along coastlines in onshore flow.

Convective Clouds

Cumulus and cumulonimbus clouds (Figures 9 and10,
respectively) are convective clouds brought about
when the temperature decreases rather rapidly with
increasing height. Differential heating and converging
air currents in this circumstance can therefore send
plumes of warmer air skyward with relative ease.
Convective clouds are limited in coverage compared
with stratiform clouds and, except for the anvil
portions of cumulonimbus clouds, rarely cover the
entire sky or do so only for short periods. This
coverage characteristic differentiates, for example,
stratocumulus clouds, with their linked cloud bases
covering large portions of the sky, and similar-sized
cumulus clouds that by definition must be relatively
scattered into isolated clouds or small clusters with
large sky openings.

Cumulus clouds have a size spectrum of their own
that ranges from cumulus fractus, those first cloud
shreds that appear at the top of the convective
boundary layer, to congestus size (more than about
2 km deep). Between these sizes are cumulus humilis
and cumulus mediocris clouds, which range between
about 1 and 2 km in depth, respectively. The tops of
these larger clouds are marked by sprouting portions
called turrets that represent the growing and usually
warmer parts of the cloud. Individual turrets are
generally one to a few kilometers wide, though in
strong storms individual turrets may coalesce into
groups of many turrets to form a large, tightly packed,
and hard-appearing cauliflower mass that roils up-
ward with little turret differentiation.

Prior to reaching the cumulonimbus stage, cumulus
clouds are therefore composed of droplets and contain
very few if any precipitation particles. Precipitation,
however, usually begins to develop in cumulus con-
gestus clouds if they are more than about 3 km thick
over land and about 2 km thick over the oceans. The
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precipitation that falls may be due to collisions, with
coalescence of the larger cloud drops in the upper
portions of the cloud (particularlywhen the cloud base
temperature is above 5–101C), or it may be due to the
formation of ice particles in clouds with cooler bases.
However, in the wintertime, even small cumulus
clouds with tops colder than about � 10 to � 151C
canproduce virga, snowflurries, or even accumulating
amounts of snow. These kinds of small, cold, and
precipitating cumulus clouds are found in wintertime
in such locations as the Great Lakes of the United
States, off the east coasts of the continents, or over high
mountains.

If significant precipitation begins to develop in deep
cumulus clouds, they quickly take on the visual
attributes of cumulonimbus clouds (Figure 10); a
strong precipitation shaft is seen below cloud base
with a cloud top that is fibrous, fraying, or wispy. The
visual transition to a softer, fibrous appearance in the
upper portion of cumulus clouds is due to the lowering
of the concentrations of the particles from hundreds of
thousands per liter of relatively small cloud droplets
(o50mm diameter), to only tens to hundreds per liter
of much larger (millimeter-sized) precipitation-sized
particles (rain drops or ice particles). These larger
particles tend to fall in filaments and help produce a
striated appearance.

In the period while this transformation is taking
place and the fibrosity is just becoming visually
apparent in the upper portions of a cumulus congestus
cloud as this particle spectrum change is underway, the
cloud is entering a short-lived period of its life cycle
when it is referred to as a cumulonimbus calvus
(‘bald’) cloud (Figure 13). At this same time, a
concentrated precipitation shaft may be just emerging
below cloud base. When the fibrosity of the upper
portion of the cloud is fully apparent, the cumulonim-
bus cloud has transitioned to a cumulonimbus cap-
illatus (‘hairy’) inwhichmost or all of its upper portion
consists of ice crystals and snowflakes. In the tropics,
this visual change also occurs but can be due solely to
drizzle and raindrops in smaller cumulonimbus
clouds. If a pronounced flattening of the top develops
into a spreading anvil, then the cloud has achieved the
status of a cumulonimbus capillatus incus (‘anvil’).

Cumulonimbus capillatus clouds span a wide range
of depths, from miniature versions only about 2 km
deep in polar air masses over the oceans, to as much as
20 km in the most severe thunderstorms in equatorial
regions, the plains of eastern China, and the plains and
south-east regions of theUnited States.Hail or graupel

(soft hail) are usually found, if not at the ground
then aloft, in virtually all cumulonimbus clouds.
Updrafts may reach tens of meters per second in
cumulus and cumulonimbus clouds, particularly in
warmairmasses. These updrafts lead to large amounts
of condensation and liquid water content. Depending
on how warm cloud base is, the middle and upper
building portions of deep cumulus clouds might
contain 1–5 grams per cubic meter of condensed
water in the form of droplets and rain drops. When
‘supercooled’, such liquid water concentrations are
sufficient to cause a buildup of about 1 cm or more of
ice on an aircraft frame for every minute in cloud and
thus pose a great hazard for aircraft. Cumulonimbus
are the only clouds, by definition, that produce
lightning. That is, if lightning is observed, the cloud
type producing it is automatically designated a
cumulonimbus cloud.

See also

Cloud Microphysics. Clouds: Cumuliform.
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Introduction

Clouds are an important component of the Earth’s
climate system. They reflect solar radiation back to
space, they absorb thermal infrared radiation emitted
from below, and they produce rain and snow. A cloud
climatology describes the time-averaged geographical
distribution of cloud properties and the diurnal,
seasonal, and interannual variations of those
properties.

Cloud climatologies are used to determine the
radiative effects of clouds on climate and to determine
the extent to which interannual and multidecadal
changes in the Earth’s radiation budget can be attrib-
uted to changes in clouds. Cloud climatologies also
find applications in assessing the prediction of clouds
by climate models, assessing the significance of chem-
ical reactions in clouds, quantifying climatic feedbacks
involving clouds, estimating the radiative forcing
by anthropogenic aerosols, selecting sites for astro-
nomical observatories and atmospheric field experi-
ments, and assessing the potential for solar energy
development.

The properties of clouds most important for climate
are those that affect radiation and precipitation,
namely, cloud height, thickness, horizontal extent
andhorizontal variability,water content, phase (liquid
or ice), and droplet and crystal sizes. It is therefore
important to distinguish different types of clouds. The
climatic effects of clouds further depend on the
geographical location of the clouds, the albedo and
temperature of the underlying surface, and the season
of the year and time of day. The effect of clouds on
the Earth’s radiation budget, called the ‘cloud
radiative forcing’ is generally negative in the daytime
but positive at night (that is, clouds cool the surface
in the day but warm the surface at night), so an
accurate determination of the diurnal cycle of each
cloud type is an important component of a cloud
climatology.

Cloud Types

Clouds are classified according to their form and their
height. Low clouds, with bases in the atmospheric
boundary layer less than 2 km above the surface,
are influenced by their proximity to the surface. Solar

heatingof the surface can initiate convection and cause
cumulus (Cu) clouds to form at the lifting condensa-
tion level.Cumulus clouds are small; theymay develop
further into large cumulonimbus (Cb) clouds.
Cumulonimbus can extend vertically to the tropo-
pause and often contain ice crystals in their upper
parts. Cumulonimbus are associated with thunder,
lightning, and showery rain or snow.

Stratus (St) and stratocumulus (Sc) are both hori-
zontally extensive low clouds. They are distin-
guished in that stratocumulus contains convective
elements but stratus does not. Fog is a cloud at the
ground surface, usually in the form of stratocumulus.
Stratus and stratocumulus cover large regions of the
oceans. In the subtropics they are found over the
eastern parts of the oceans, where subsidence is
occurring in the free atmosphere above the boundary
layer.

Nimbostratus (Ns) clouds are much thicker than Sc
and St, extending vertically through several kilometers
of the atmosphere. Nimbostratus clouds form as a
result of large-scale uplift ofmoist air in frontal storms
at middle and high latitudes, and they precipitate rain
and snow.

Clouds with bases 2–6 km above the surface are
termed ‘middle’ clouds, and are classified altostratus
(As) or altocumulus (Ac) by their resemblance to
stratus or cumulus.

Cloudswith bases between 6 kmand the tropopause
are the ‘high’ clouds: cirrus (Ci), cirrostratus (Cs) and
cirrocumulus (Cc). They consist of ice crystals and as a
group are called ‘cirriform’ clouds. They can result
from gradual uplift in large-scale storms in mid-
latitudes, or can be sheared off the tops of cumulo-
nimbus in the tropics.

Clouds above the tropopause are rare, but they can
occur in the polar regions in the stratosphere at
15–25 km height as polar stratospheric clouds (PSCs;
nacreous clouds), and in the mesosphere at 80 km
height as polar mesospheric clouds (PMCs; noctilu-
cent clouds). Those two types of clouds are discussed
in other articles in the Encyclopedia; this article is
concerned only with tropospheric clouds (see Nocti-
lucent Clouds).

Satellite Observations

Cloud climatologies have been developed from two
kinds of data: (1) using radiances measured by
satellites in polar and geostationary orbits, and (2)
using visual observations of clouds from the Earth’s
surface, as coded in weather reports from stations on
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land and ships in the ocean. Satellites detect clouds
principally at visible and thermal-infrared wave-
lengths. At visible wavelengths cloudy scenes appear
brighter than cloud-free scenes when viewed from
above. Clouds are usually colder than the underlying
surface, so the emission of thermal-infrared radiation
to space is less than for clear scenes. During the
daytime clouds can be detected in both wavelength
regions, but at night only in the thermal infrared. The
altitude of the cloud top is inferred by relating the
infrared emission temperature to the vertical profile of
temperature obtained from radiosondes (carried by
weather balloons) or satellite sounders. Cloud optical
thickness (opacity) is inferred from reflectance in the
visible channel. If a second solar channel (in the near
infrared) is available, then the vertically integrated
liquid water content, and the effective radius of the
droplets, can also be inferred.

Measurements from satellites can be used to pro-
duce a cloud climatology if the following criteria are
satisfied: (a) pixel size is at most a few kilometers; (b)
temporal sampling is conducted at regular intervals
throughout the day and night; (c) the coverage is
global; and (d) a long period of record (many years) is
maintained. To satisfy these requirements, the Inter-
national Satellite Cloud Climatology Project (ISCCP)
uses five geostationary satellites that hover over the
Equator at five longitudinal locations, and two polar-
orbiting satellites. This project began in 1983 and is
continuing.

More detailed information about clouds can be
obtained from satellite instruments with finer spatial
resolution (e.g., Landsat), and from satellites with
more spectral channels (e.g., theModerate Resolution
Imaging Spectrometer (MODIS) on the Earth Obser-
vation Satellite (EOS)). Three-dimensional informa-
tion about clouds can be obtained from satellites that
look at the same scene from different angles (e.g., the
Multi-angle Imaging Spectroradiometer (MISR)).
These instruments are useful for studying cloud
properties but do not yet offer sufficiently long periods
of record to produce a climatology (see Satellite
Remote Sensing: Cloud Properties). The principal
satellite cloud climatology in use now is therefore that
of ISCCP.

Surface Observations

Surface observations of clouds are made less frequent-
ly than satellite observations in many areas, and they
have variable spatial density, but they offer a useful
adjunct to satellite observations for the following
reasons.

� The surface observer views clouds from below, and
thus can observe the low clouds that are often

hidden from the satellite’s view by higher clouds.
Multiple cloud layers often occur together, so the
views from above and below are complementary.

� Some clouds are difficult to detect from satellites
(clouds over snow, low clouds at night) because they
provide little contrast in albedo or temperaturewith
the underlying surface.

� Surface observers are close to the clouds, so they can
identify clouds by type, including clouds smaller
than a satellite’s pixel size, which is typically at least
1 km.

� The cloud types defined morphologically by surface
observers are directly related to meteorology and
cloud processes, whereas the satellite climatology
defines cloud types by their radiative properties.

� Weather reports of clouds are available for several
decades with no change in official observing in-
structions, so interdecadal variations and trends can
be studied.

This review emphasizes the climatology obtained
from surface observations, because that is the subject
of the authors’ own research.

Cloud Information in Surface Weather
Reports

Cloud observations are coded into weather reports
using the ‘synoptic code’ of the WorldMeteorological
Organization (WMO). In some countries the obser-
vations are reported both in the synoptic code and in
another code used locally. Reports in these other codes
have been used to develop climatologies in some
individual countries, but the synoptic code is the only
one used worldwide. The information about clouds in
the synoptic weather report consists of total cloud
cover, low or middle cloud amount, low cloud type,
middle cloud type, high cloud type, present weather,
and base height of the lowest cloud.

About 6500 land stations routinely report cloud
observations in the synoptic code. Usually they report
every three hours beginning at 0000 UT, but about
one-quarter of them report only every six hours.About
20%of the stations do notmake observations at night.
The average spacing of land stations is about 180 km,
but it is far from uniform. Europe has more stations
than needed for a cloud climatology, and Antarctica
has too few. Some parts of the Sahara Desert and
Western Australia are also inadequately sampled.

Most ships make weather observations four times
per day; the observations are recorded in logbooks and
also transmitted by radio to world meteorological
centers. In a recent typical year, reports fromanaverage
of 1150 shipswere received at 0000, 0600, 1200, 1800
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UTand from 160 ships at 0300, 0900, 1500, 2100 UT.
Most of these are merchant ships with volunteer
weather observers; some are military ships and re-
search ships, and a few (o10) are dedicated weather
ships. Unlike on land, there is little tendency for fewer
observations at night, but the nighttime observations
may not be transmitted promptly by radio so it is
important to have the complete logbook records. The
average spacing of ships that report clouds is 600 km,
much greater than for weather stations on land, but
since the ships aremoving they samplemost parts of the
ocean. A project to compile ship-based weather obser-
vations from all maritime nations, including many
logbook reports, has resulted in the Comprehensive
Ocean–AtmosphereData Set (COADS),which is being
used for research on air–sea interaction and climatic
change throughout the world ocean.

In many parts of the ocean the accuracy of comput-
ed mean cloud amounts is limited by the scarcity of
observations. This is not the case on land, where the
random error due to inadequate temporal sampling is
very small. Statistical tests performed on observations
from weather ships indicate that 100 observations
taken at random times during a three-month period
will represent the seasonal mean cloud cover to within
3% in an oceanic grid-box of size 51 latitude by 51
longitude. If 1% accuracy is desired, then 1000
observations are needed.

The synoptic code was defined in 1929 but was
changed in 1949; the reporting procedures became
adopted worldwide in the early 1950s. Synoptic
observations are available with global coverage for
all oceans since 1952 and for all continents since 1971,
about 400 million observations to date.

Computation of Average Cloud
Amounts

For low clouds the computation of average amount is
straightforward, but for middle and high clouds the
question of overlap must be considered. The ‘amount’
of a cloud type is defined as the fraction of the sky
covered by that type, whether visible or hidden behind
another cloud. The time-averaged amount can be
obtained as the product of frequency-of-occurrence
(fraction of weather observations in which a cloud of
this type is present, whether visible or hidden) and
amount-when-present (the average fraction of the sky
covered by this cloud type when it is present, whether
visible or hidden). For example, if cumulus is present
in 30% of the weather observations from a station,
and if it covers on average 40% of the sky when it is
present, then the average amount of cumulus at that
station is 12%.

The amount, or even the presence, of a middle or
high cloud may be indeterminate when a lower cloud
nearly or completely covers the sky. The average
amounts of middle and high cloud types can be
estimated by assuming that the frequency and
amount-when-present are the same in observations
where they cannot be calculated as in observations
where they can be calculated. Also, to obtain amount-
when-present, the clouds at different levels are as-
sumed to be randomly overlapped. The amounts
directly visible from below (the ‘nonoverlapped’
amounts) may also be calculated.

For the climatology, the Earth is divided into an
array of boxes on a geographical grid, and cloud cover
is computed for each box. Several possible biases may
affect computed cloud cover but they may be reduced
or eliminated with appropriate analysis procedures.
Two small biases that oppose each other and are
unique to ship observations are the fair-weather bias
(the tendency for more ships to enter a grid-box on
days of fair weather) and the foul-weather bias (the
tendency of ships to oversample stormy or foggy
weather because they are traveling more slowly). Two
other biases thatmay affect both ship and landdata are
the diurnal sampling bias (somewhat more reports are
transmitted by ships during the day than at night, and
some land stations in a box with several stations may
not report at night) and the trend bias (a box may be
sampled by more ships in later years than in earlier
years, or a land stationmay change location during the
period of record). These situations can cause biases if
the cloud amount undergoes a diurnal cycle or exhibits
a long-term trend, but such biases can be eliminated by
appropriate analysis procedures.

Themost serious bias, on both land and ocean, is the
‘night-detection bias’. Visual observations of clouds
are hindered at night by inadequate illumination of the
clouds. This usually leads to an underestimation of the
average cloud cover at night, especially for the
amounts of middle and high clouds, in climatologies
based on surface observations. The diurnal cycles of
cloud amounts, if based on all the surface observa-
tions, are therefore in error, but the cycles can be
obtained more accurately if the nighttime observa-
tions are screened to select thosemade under sufficient
moonlight or twilight. A criterion for adequacy of
moonlight or twilight has been established; it permits
the use of about 38%of the nighttime observations. By
this criterion, adequate illumination is provided by a
full moon at an elevation angle of 61 or a partial moon
at higher elevation, or by twilight from the Sun less
than 91 below the horizon.

A complete description of the climatology of clouds
is the subject of atlases such as those listed in Further
Reading, which give the average amounts of each
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cloud type for each season in grid-boxes of 51 latitude
by 51 longitude, as well as their diurnal cycles and
interannual variations. A few illustrative examples
from the climatology are shown in this article.

Global Averages

The annual average total cloud cover as determined
from surface observations is summarized in Table 1.
Average cloud cover is greater over the ocean thanover
land. Cloud cover over land tends to be greater in
daytime than at night, but the ocean shows little day–
night difference.

Cloud properties from eight years (1986–1993) of
ISCCP are summarized in Table 2. The average cloud
cover and the day–night differences are slightly
different from those obtained from surface observa-
tions (Table 1). The optical thickness (opacity) and
cloud-water path (vertically integrated liquid-water
content) inferred from the satellite radiances are
smaller than those usually obtained from aircraft in
field experiments. This difference is probably due to
horizontal inhomogeneity of the clouds; the ISCCP
optical thickness is an effective optical thickness for a
hypothetical horizontally homogeneous cloud.

Global average amounts for nine different cloud
types defined in the surface observations are shown in
Table 3. Globally, the most common types are strato-
cumulus, altocumulus, andhigh (cirriform) clouds.All
the low cloud types are more common over the ocean
than over land. The middle types altostratus and
altocumulus together cover the same fraction of the
sky over land as over ocean; cirriform cloud is the only
type that is less common over ocean.

For the low clouds, Table 3 also shows the obser-
vers’ estimate of the height of the cloud base above the
ground surface. The bases are on average twice as high
over land as over ocean, and the heights increase with
distance inland from the ocean.

Geographical Variations

What the averages ofTable 3 cannot show is that there
are striking geographical variations. Fog is rare over
most of the globe but its frequency exceeds 10% over
the North Atlantic and North Pacific oceans in
summer poleward of 401N, and reaches 20–40% in
the Sea of Okhotsk. Nimbostratus is likewise rare in
the tropics but common in middle and high latitudes.
Cumulonimbus amount exceeds 10% in a narrow
band along the Intertropical Convergence Zone
(ITCZ) near the Equator and over a much broader
region of warm water in the western Pacific called the
‘warm pool’.

Completely clear sky, also given in Table 3, is
common over land but rare over the ocean. Over most
of the open ocean there are almost always some low
clouds visible from ships; the reports of clear sky are
mostly confined to coastal regions. The Red, Mediter-
ranean, andArabian Seas are themost cloud-free parts
of the world ocean.

The geographical distribution of total cloud cover
for December–January–February (DJF) is shown in

Table 1 Annual average cloud cover from surface observations

(1982–1991)

Land Ocean Globe

Average total cloud amount (%) 54 68 64

Day–night difference (%) 13 0 11

Table 2 Annual average cloud properties from the International

Satellite Cloud Climatology Project (1986–1993)

Land Ocean Globe

Average total cloud amount (%) 58 72 68

Day–night difference (%) 15 � 2 0

Cloud top temperature (1C) �20 � 7 � 11

Day–night difference (1C) 112 12 15

Cloud top pressure (hPa) 490 620 580

Cloud optical thickness 4 4 4

Cloud-water path (gm� 2) 76 61 66

Adapted from Tables 4 and 5 of Rossow WB and Schiffer RA

(1999) Bulletin of the American Meteorological Society 80: 2261–

2287, American Meteorological Society, Boston, with permission.

Table 3 Cloud type amounts and heights from surface observa-

tions

Cloud type Annual average

amount (%)

Base height (meters

above surface)

Land Ocean Land Ocean

Fog 1 1 0 0

Stratus 5 11 500 400

Stratocumulus 12 22 1000 600

Cumulus 5 12 1100 600

Cumulonimbus 4 6 1000 500

Nimbostratus 5 6

Altostratus
�

4 22
Altocumulus 17

High (cirriform) 22 13

Clear sky

(frequency)

22 3

Land values are new analyses for the years 1971–1996. Ocean

values are for the years 1952–1981, adapted from Table 9 of

Warren SG, HahnCJ, London J, Chervin RM and JenneRL (1988)

Global Distribution of Total Cloud Cover and Cloud Type Amounts

over the Ocean, Tech. Note TN-3171STR, National Center for

Atmospheric Research, Boulder, Colorado. For the ocean analy-

sis, altostratus andaltocumuluswere combined into a single group.

The amounts of all the cloud types add up to more than the total

cloud cover because of overlap.
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Figure 1. This is the only season in which complete
global coverage is available from surface observations,
because ships avoid the Antarctic Ocean in other
seasons when it is ice-covered. The largest cloud
amounts are found in the high-latitude oceans,
particularly in summer, exceeding 90% in the sub-
Antarctic in DJF. The North Atlantic and North
Pacific cloud amounts reach similarly high values
during the northern summer (June–July–August; JJA).
Values of cloud cover below 40% are found in the
deserts of Australia, Mongolia, Arabia, North Africa,
Southern Africa, Argentina, and Mexico. Most of the
Indian subcontinent has cloud cover of 20–30% on
this map, during the winter-monsoon dry season. The
eastern Sahara is the clearest large region on Earth,
with cloud cover below 20% on this map for DJF, but
it is even clearer in summer when a large area of less
than 5% cloud cover extends on across northern
Arabia.

The ITCZ appears in Figure 1 as a latitudinal
maximum near the Equator in the Atlantic and north
of the Equator in the eastern Pacific, then south of the
Equator through Indonesia, and at about 101 S across
the IndianOcean, Africa and SouthAmerica. This is in
agreement with the location of the ITCZ as deter-
mined by measurement of winds and pressure.

The total cloud cover averaged around latitude
zones is shown inFigure 2 for the two extreme seasons.
The figure shows that the average cloud cover is less
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over land than over ocean, and that the latitudinal
variation of cloud cover is greater over land than over
ocean. The peak cloudiness in the ITCZ moves from
71Nin JJAonly to 21NinDJFover the ocean, but to as
far as 121 S over land. The latitudes ofmaximumcloud
cover near 601N,601 S, and theEquator correspond to
the latitudes of maximum precipitation, and the
latitudes of minimum cloud cover on land are the
latitudes of the great deserts.

Diurnal Variations

The amounts of many cloud types vary from day to
night. Two examples of diurnal variations for oceanic
regions are shown in Figure 3. The central North
Atlantic in winter exhibits no diurnal variation, with
total cloud cover averaging about 75% at all hours.
The largest oceanic diurnal variations are in the
stratocumulus regions of the eastern subtropical
Atlantic and Pacific. The region displayed, in the
Atlantic Ocean west of Namibia, exhibits a strong
diurnal cycle in total cloud coverwith apeakof 73%at
07.00 and minimum of 53% at 16.00. This cycle is
paralleled by the diurnal cycle of low stratiform
clouds, indicating that these cloud types are the types
responsible for the diurnal cycle here. These bound-
ary-layer clouds develop during the night and dissipate
during the day under the influence of solar heating.

Figure 4 shows an example of diurnal cycles on land
in Central America during the summer rainy season.
Solar heating of the surface begins at sunrise, leading
to convection that produces cumulus clouds in the
morning. In the afternoon, many of these clouds

further develop into cumulonimbus, which continue
precipitating into the evening.

Seasonal Variations

The largest seasonal variations of cloud cover are
associated with the subtropical monsoons of Africa,
South America, India, and Australia. Cloud variations
in the Indian Ocean region are shown in Figure 5A. In
south-west India the average total cloud cover in-
creases from 16% in February to 89% in July. During
India’s dry winter, northern Australia experiences its
cloudy and rainy summer.

In contrast to the sinusoidal pattern of the Indian
and Australian monsoons, the central Arctic Ocean
(Figure 5B) exhibits a peculiar boxlike seasonal cycle,
in which cloud cover increases rapidly during May.
The greater cloud cover from June to September is due
mainly to the low, thin ‘Arctic summer stratus’ clouds
that form over the perennial sea ice during the melting
season. A still different pattern is exhibited in parts of
the North Atlantic (Figure 5B), which have almost no
seasonal variation of cloud cover.

Interannual Variations and Trends

Clouds interact with other components of the climate
system, so changes in cloud amounts can be expected
to accompany changes in other climatic variables, and
also to feed back on those other variables. The
magnitudes, and even the nature, of the possible
climatic feedbacks involving clouds are far from
understood, but the long historical climatic record
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may help to identify them. The degree to which the
actual variations of the amounts of the different cloud
types are faithfully recorded in the analysis of visual
observations is itself variable, depending on the spatial
and temporal density of observations, the ability to
detect and remove biases, and the spatial scale of the
analysis. Real interannual variations of cloud amount
in a 101� 101box, for example, are often large enough
to overwhelm any subtle progressive changes in
observing procedure.However, interannual variations
of zonal average cloud amount are smaller than those
of grid-box cloud amount because of partially com-
pensating positive and negative changes in different
parts of the zone. For zonal averages it is therefore
more difficult to dissect the observed changes into
climatic and nonclimatic causes.

A powerful way to assess the validity of observed
cloud changes is to identify likely causes (e.g., changes
in sea surface temperature (SST) or atmospheric

circulation) and effects (e.g., diurnal temperature
range) of the cloud changes and to correlate these
related climatic variables to the cloud changes. Some
examples are shown in Figure 6. Interannual varia-
tions of the amount of marine stratiform cloudiness
(St1Sc) commonly correlate negatively with inter-
annual variations of SST. Many of these interannual
variations are related to cycles of El Niño and the
Southern Oscillation. Figure 6 shows how St1Sc and
SST covary at two locations in the Pacific Ocean: one
location that exhibits a long-term trend and another
that does not. Both sets of data came from shipboard
observations. The fact that clouds and SST are
measured by different methods but correlate well
argues for the reality of both time-series. The good
correlations in Figure 6 also suggest that the error in a
seasonal mean due to random sampling of weather
situations during a particular season is small. In other
grid-boxes traversed by fewer ships, seasonal means
suffer from sampling error and the correlation of
St1Sc with SST is not as strong.

The global average reported cloud cover over the
oceans has apparently increased by 1–2% since 1952.
The largest increase is in the tropical regions. How
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much of this trend is a real climatic change is not yet
established.

Much effort is currently under way to investigate
interannual variations and trends of cloud amounts
over land. Regional changes may be expected from
anthropogenic sulfate aerosols that can act as cloud-
condensation nuclei. Cloud changes are suspected as a
contributor to regional decreases in the diurnal tem-
perature range because clouds cause a cooling in the
daytime but a warming at night. Figure 7 shows
variations of total cloud cover reported over the
last half-century for four large regions of the
Northern Hemisphere. The only region exhibiting a
significant trend is eastern China, but its cause is as yet
unidentified.

The Future of Cloud Observations

The long time-span of cloud reports, covering the
transition period from a time of perhaps minimal
human impact on climate in the 1950s, to the
anthropogenically altered climate of the future, is a
valuable resource that is appreciated bymany national
meteorological agencies. There has been remarkable
worldwide international cooperation in reporting
weather observations in compliance with the WMO
regulations. Except for brief periods of political
instability (Iran in 1979; Zaire in the late 1990s),
essentially all nations have been contributing their
weather observations reliably. Recently, however, two
nations (United States and New Zealand), in conjunc-
tion with the automation of their weather stations,

have essentially ceased reporting of visual cloud
observations in the WMO synoptic code. Changes of
codes or changes of observational methods (laser
ceilometers in place of the human eye), or even changes
of station location, make it difficult to infer reliable
climatic changes over a span of years that includes the
time of the change. The number of US stations with
useful synoptic weather reports decreased slowly
throughout the 1980s and rapidly in the mid-1990s
so that the geographical coverage of the United States
declined from241 stations in 1981 to only about 27 by
the end of 1996. The United States and New Zealand
together represent 2% of the Earth’s surface, so future
global analyses of cloud changes from surface obser-
vations will be restricted to the remaining 98% of the
globe.

At present it is difficult to obtain reliable multiyear
trends of cloud amounts from satellite observa-
tions because of the short lifetimes of individual
satellites and the difficulty of intercalibrating instru-
ments on different satellites, especially because
the spectral response of the radiation detectors
may change from one satellite to the next. However,
efforts are under way to address these problems,
andwe can expect in the future to see an increase in the
use of satellite observations for the climatology of
clouds.

See also

Cloud Chemistry.CloudMicrophysics.Clouds: Clas-
sification; Cumuliform; Measurement Techniques In Situ.
Convective Cloud Systems Modelling. Noctilucent
Clouds. Parameterization of Physical Processes:
Clouds. Radiative Transfer: Cloud-radiative Processes.
Satellite Remote Sensing: Cloud Properties.
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Introduction

‘Cumuliform’ describes cloud whose general charac-
teristics differentiate it from the other main category,
‘stratiform’. Visually, cumuliform cloud has a low
(o2km) cloud base, a puffy, heaped, or cauliflower
appearance, and a ratio of horizontal extent to height
on the order of 1:1. In semiarid and arid regions,
cumuliform cloud may have a much higher base.
Cumuliform clouds can develop vertically through the
troposphere until the tropopause limits their height. In
contrast, stratiform cloud has a layerlike appearance,
with a ratio of horizontal extent to vertical depth of
10:1 or more. While some layer clouds, like stratocu-
mulus, altocumulus, and cirrocumulus possess cumu-
liform elements, the overall dimension and character
of these clouds is stratiform. ‘Cumuliform’ refers to
clouds of the purely cumulus genera F cumulus and
cumulonimbus.

The nomenclature for cumuliform clouds describes
their vertical extent and precipitation production.
Cumulus humilis, or fair weather cumulus, have
the most limited vertical extent, with their bases and
tops in the lower troposphere below about 3 km.
Further development in an environment favoring
deeper nonprecipitating convection produces cumulus
congestus or towering cumulus. When precipitation
falls from cloud base, the cloud is designated cumulo-
nimbus. In the tropics, where comparatively shallow
cumuliform clouds produce small, brief, but heavy
showers, these clouds are occasionally misnamed
cumulus congestus.

The distinctive dimensions and appearance of
cumuliform clouds are visual evidence of important
aspects of cloud dynamics, thermodynamics, and
microphysics. Dynamically, cumulus clouds have
updrafts on the order of 1–10m s�1, at least an order
of magnitude more vigorous than updrafts in strati-
form clouds. Cumulonimbus clouds generate down-
drafts comparable in magnitude to their updrafts. The
bubblelike appearance of cumuliform clouds arises
from the current of buoyant convection that impels air
upward in what has been described as a parcel, a
bubble, a plume, or a jet. The rapid formation, growth,
and production of copious precipitation from cumulo-
nimbus demonstrate the vigor of microphysical proc-
esses in cumuliform clouds.

Cumuliform clouds have a profound effect on their
larger-scale atmospheric environment. They contrib-

ute to larger-scale atmospheric circulations, for
example, the Hadley cell, the Walker cell, and the
monsoons. Cumulonimbus influence the hydrological
cycle through generating a dominant share of Earth’s
precipitation. Incorporating the effects of cumuliform
clouds on the mass, heat, and energy budgets of the
atmosphere remains a challenge in simulations of
weather on all scales as well as climate and climate
change.

Formation of Cumuliform Clouds

The most direct way to describe the formation and
upward growth of cumuliform clouds is to use an air
parcel. This is the conceptual model of a collection of
air molecules separated from their surroundings by an
imaginary boundary that exerts no pressure and
allows no exchange of heat, energy, or mass across
its boundary. An air parcel will rise freely with respect
to its surroundings if its density is less than the density
of its environment, that is, if it is positively buoyant.
Since routine observations do not directly sample
atmospheric density, atmospheric scientists use differ-
ences in virtual temperature, the temperature aug-
mented by a factor proportional to the water vapor
content, to include the density variations due to both
temperature and water vapor content. This identifica-
tion of virtual temperature perturbations with density
perturbations is possible because air closely follows
the ideal gas law.

Cumuliform clouds have their roots in the subcloud
layer. Avariety of processes can account for the ascent
of air parcels to cloud base in a cumuliform cloud.
Most closely related to ascent within the cloud is free
buoyant convection, when air parcels whose virtual
temperature exceeds the virtual temperature of their
surroundings accelerate upward at a rate proportional
to the temperature difference. The rising parcel
depletes its internal energy to perform work and
expand the parcel to match its pressure to the ambient
pressure. The unsaturated air parcel cools at the rate of
101Ckm� 1, the dry adiabatic lapse rate. The condi-
tion for free ascent of an unsaturated air parcel is an
environmental lapse rate exceeding the dry adiabatic
lapse rate. When the condition is met, uneven surface
heating creates invisible thermals, which can rise to
form cumuliform clouds. Forced lifting can also cause
air parcels to rise. Topographic uplift, convergence at
low levels, and frontal lifting are all examples of forced
lifting.

Cloud base, also known as the lifting condensation
level, is the level where the rising and cooling air parcel
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first becomes saturated with respect to liquid water.
Condensation occurs immediately because small par-
ticles called cloud condensation nuclei are very abun-
dant in the atmosphere, and provide surfaces for
condensation at a relative humidity of 100%. An air
parcel’s behavior can be described as the solution to a
simple form of the first law of thermodynamics, and
can be solved graphically on a standard atmospheric
thermodynamic chart.

Growth of the Cumuliform Cloud

Once condensation begins, latent heat is released. The
released latent heat stays with the air parcel, supple-
ments its internal energy, and increases its buoyancy.
Although the release of latent heat is a diabatic
process, in parcel theory it is incorporated directly as
an increment to the internal energy of the air parcel,
and the process is called pseudoadiabitic or moist
adiabatic. The amount of latent heat released is
proportional to the amount ofwater vapor condensed,
which depends on both the temperature and the
pressure of the air parcel. In practice, the saturated air
parcel’s lapse rate is frequently plotted on a standard
thermodynamic chart. For typical atmospheric condi-
tions, the moist adiabatic lapse rate varies between
61C and 91Ckm� 1.

Forced lifting below cloud basemay continue above
cloud base aswell. For a cumuliform cloud to continue
to develop, eventually the parcelmust rise freely due to
its own buoyancy. The level at which this occurs is
called the level of free convection. There, the virtual
temperature of the parcel first begins to exceed the
virtual temperature of the surroundings. Conditional
instability describes the ability of the atmosphere to
support free buoyant convection in cumuliform
clouds. The condition for instability is that the air
parcel be saturated. The environment is conditionally
unstable if the environmental lapse rate is greater than
the moist adiabatic lapse rate and less than the dry
adiabatic lapse rate. The buoyant air parcel will
accelerate upward to the top of the layer of conditional
instability, where the temperature of the parcel equals
that of the environment, called the equilibrium level. If
the updraft is strong enough, the parcel can rise above
the top of the conditionally unstable layer while it
decelerates, a process called overshooting.

The growth of cumuliform clouds depends crucially
on the amount of moisture present in the layer below
cloud base. The greater thewater vapor content of that
layer, the more latent heat is available to be released to
enhance buoyancy in the updraft. For example, over
the tropical oceans, where evaporation makes water
vapor in the subcloud layer plentiful, cumuliform

clouds can grow to great heights in an atmosphere
whose lapse rate is only slightly greater than the moist
adiabatic lapse rate.

Overall, parcel theory and an environmental sound-
ing can predict the levels of the bases and tops
of cumulus clouds with some reliability. Parcel theory
does not take into account turbulent mixing, called
entrainment and detrainment, at the sides and top
of the cumuliform cloud. Entrainment dilutes
the rising air parcels with unsaturated, less buoyant
environmental air. Detrainment does not affect the
properties of the updraft air, but modifies the thermo-
dynamics of the environment. A more complete
approach to cumulus growth models the updraft as
entraining environmental air at a rate inversely pro-
portional to the cloud radius. In this way an ensemble
of cumuliform clouds of different cloud top heights
can occur in the same environment, with the higher
cloud tops corresponding to the clouds of greater
radius on account of lesser entrainment rates. Aircraft
observations and laboratory experiments suggest that
further complexity exists because turbulent entrain-
ment is inhomogeneous in space and discontinuous in
time. The more complex models incorporate forcing
due to pressure differences at the top, bottom, and
sides of air parcels rising in the updraft of a cumuli-
form cloud.

When an unsaturated environment with a lapse rate
less than the moist adiabatic lapse rate has a vertical
gradient of moisture, with drier air aloft, large-scale
lifting of the entire layer can release convective or
potential instability. Thermodynamically, potential
instability exists if the equivalent potential tempera-
ture of the sounding decreases with increasing height.
This corresponds to an environment where the wet-
bulb temperature has a lapse rate steeper than the
moist-adiabatic lapse rate. The temperature in the
rising air decreases at the dry adiabatic lapse rate until
the air becomes saturated, whereupon it cools at the
lesser, moist adiabatic lapse rate. Saturation occurs
first at the base of the layer, and this air is lifted moist-
adiabatically throughmost of its depth of lifting.Once
saturation occurs, the lapse rate of the layer as awhole
begins to become less stable because the top cools
more rapidly than the base. If lifting continues over a
periodof hours, even amid-tropospheric inversion can
be destroyed. The conditionally unstable atmosphere
that results may be very favorable for the formation of
deep cumulonimbus clouds. Over the central United
States in spring, an elevated dry layer of air in the
mountainous and high plateau regions of Mexico
sometimes moves north-eastward to create a capping
inversion over maritime tropical air moistened by
traveling over the Gulf of Mexico. The sounding that
results may be potentially unstable.
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Precipitation Processes in Cumuliform
Clouds

The strong rising motion in the updraft of a cumuli-
form cloud due to buoyancy enhanced by the release of
latent heat has important microphysical consequenc-
es. This updraft allows rapid condensation of large
quantities of cloud liquid water, leading to a larger
liquid water content than in stratiform clouds. This
condensate allows precipitation processes to be initi-
ated and maintained in cumuliform clouds.

For the description of precipitation processes,
cumuliform clouds are divided into two categories.
When the cloud top temperature is greater than 01C,
the cloud is called a ‘warm cloud’ because there are
no ice crystals present. Most precipitation from
cumulonimbus clouds is produced in ‘cold clouds’,
where cloud top temperatures are less than 01Cand ice
crystals may be present. Condensation and deposition
are too slow to account for growth of cloud drops to
precipitation particles within the 60–90minute life-
time of the typical cumulonimbus. The warm cloud or
collision-coalescence process depends on the nonuni-
formity of the size of the water drops condensed in the
updraft. Large drops have a greater terminal velocity
than smaller drops and fall faster (or rise more slowly)
than do the larger drops. The differential terminal
velocities of the cloud drops enhance the probability of
collisions between cloud drops. When collision and
coalescence of two cloud drops produces one larger
drop, it has a still greater terminal velocity, and is even
more likely to collide with smaller droplets of lesser
terminal velocity. Overall, the collision-coalescence
mechanism for precipitation formation is a stochastic
process in which a few slightly larger drops grow
preferentially in a series of collisions and coalescences
to precipitation size at the expense of many smaller
cloud drops. It takes about 106 cloud drops of radius
10� 6m to produce a single raindrop of diameter
10� 3m. The collision-coalescence process is the only
process of raindrop growth in warm clouds.

The collision-coalescence process can occur in cold
clouds, especially in the earlier part of the cumulo-
nimbus life cycle. Significant precipitation in cumulo-
nimbus forms mainly from the ice crystal process,
which requires a mixed population of ice crystals and
supercooled water drops. Only cold clouds can pro-
duce lightning, because ice crystals are implicated in
the separation of electrical charge in the cumulonim-
bus. The saturation vapor pressure over ice is less than
the saturation vapor pressure over water at tempera-
tures below 01C. Ice crystals grow by deposition in an
environment where supercooled water drops evapo-
rate. Water drops can remain liquid (supercooled)
when their temperature falls below 01C. Spontaneous

freezing does not occur until the temperature falls to
about � 401C. Between 01C and � 401C, ice crystals
can deposit on ice nuclei, substances like clay minerals
with a crystal structure resembling ice. Near 01C, few
substances act as ice nuclei. As the temperature falls,
more substances are activated as ice nuclei, but there
still aremany supercooledwater droplets, especially at
the higher temperatures (just below01C).When the air
is supersaturated with respect to ice and subsaturated
with respect to water, many supercooled water drop-
lets evaporate and water vapor is deposited as ice on
the comparatively few ice nuclei. Broken ice crystals
can also act as ice nuclei. The exact crystal form of a
growing ice particle, called its ‘habit’, depends on the
temperature and the supersaturation.

Eventually ice crystals grow large enough to fall
relative to the supercooled water droplets, with the
larger crystals falling faster than the smaller ones.
When this occurs, several growthmodes are enhanced
by collisions. Riming occurs when the falling ice
crystal collides with supercooled water droplets
that freeze on contact with the droplets. When the
crystal disappears in an irregularmass of frozen drops,
the ice is called graupel. Aggregation is the collection
of ice crystals by other ice crystals when they collide.
Large snowflakes are produced by aggregation. In
extremely strong updrafts, condensation of freezing
supercooled water can deposit ice in layers on ice
crystals, and a falling particle can be entrained into a
strong updraft for multiple traverses upward and
downward. This process produces hail, which can be
differentiated into categories of ‘hard’ and ‘soft.’ Hard
or clear hail has a larger fraction of frozen supercooled
water, while soft or white hail has a greater percentage
of snowflakes embedded in the hail. As frozen precip-
itation particles fall below the level where the temper-
ature is 01C, they begin to melt. Complete melting
produces raindrops. Themore sophisticated computer
simulations of cumulonimbus include an explicit
scheme to account for cloud microphysics, including
various size categories of cloud drops, ice crystals of
different forms, and precipitation-sized particles of ice
and liquid water.

The Cumulonimbus Downdraft

With the development of precipitation-sized particles,
the cumulonimbus cloud develops a distinctive and
characteristic downdraft. Particles large enough to fall
relative to or out of the downdraft create a precipita-
tion drag that becomes organized into a downdraft on
account of the large number of precipitation particles.
Entrainment of unsaturated air from outside the cloud
into the downdraft allows evaporation of cloud and
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precipitation liquid water. Evaporative cooling re-
quires energy,which comes from the internal energy of
downdraft air. In the conditionally unstable atmos-
phere, air parcels dragged downward have negative
buoyancy. Evaporative cooling offsets some of the
temperature increase due to compression in the
downdraft. The downdraft of a cumulonimbus cloud
contains the heaviest precipitation.

Outflow from the cumulonimbus downdraft has a
significant impact on the subcloud environment. The
outflow from the downdraft is cool and moist relative
to the ambient air. Mass continuity requires that the
downdraft air spread out horizontally as it approaches
the Earth’s surface. In extreme cases, damaging winds
called a downburst occur when the downdraft spreads
out near the surface, posing a special danger to
aircraft. A much larger merger of downdrafts can
cause the destructive straight-line windstorm called
the derecho. The density contrast between ambient air
and the downdraft is called the gust front. In the
simplest and least intense cumulonimbus cloud, which
occurs in an environment of weak vertical shear of the
horizontal wind, the outflow at the gust front at the
leading edge of the thunderstorm lies below the inflow
to the updraft. The cumulonimbus dissipates when the
downdraft chokes off the inflow to the updraft. In the
60–90minute lifetime of the simple air-mass cumulo-
nimbus, the downdraft develops 20–30minutes after
the updraft first produces the visible cloud. The final
20–30minutes of the life cycle involve a cloud mainly
occupied by downdraft with no more inflow from the
subcloud layer.

Organization of Cumuliform Clouds

Cumuliform clouds seldom occur individually. Cu-
mulus often occur aligned in rows called cloud streets.
Their alignment and movement are predominantly
influenced by the wind direction and speed as well as
the wind shear from cloud base to cloud top.

In the simplest form of organization of cumulonim-
bus, the outflow fromone cumulonimbus cloud sets up
the inflow to another when its gust front acts like a
miniature cold front, and enhances convergence and
lifting of unmodified subcloud air to start a new
updraft. The new cumulonimbus merges visibly with
the original cloud. Together, the clouds form a
multicellular thunderstorm, whose lifetime is the
sum of the lifetimes of the individual cells. The
multicell thunderstorm has a prolonged lifetime com-
pared to the air mass thunderstorm.

In an environment with significant vertical shear of
the horizontal wind, cumulonimbus cell alignment is
influenced by both the ambient wind and the ambient

wind shear. Squall lines contain many individual
cumulonimbus cells whose gust fronts are similarly
aligned ahead of the cumulonimbus. In middle lati-
tudes, squall lines are frequently aligned along or just
ahead of the cold front of an extratropical cyclone.
Squall lines also occur in the tropics when the vertical
shear of the horizontal wind is favorable. Sometimes
squall lines propagate as a gravitywave,which is faster
than the wind speed at any level. When this occurs,
new cumulonimbus form on the rapidly moving gust
front visibly ahead of the main line of cells, and only
later visibly merge with the cells that had formed
earlier.

Groups of cumulonimbus clouds, called mesoscale
convective systems, have the ability to influence the
formation of not just more cumulonimbus but strati-
form cloud as well. Before even an isolated cumulo-
nimbus reaches a height corresponding to � 401C,
where liquid water drops freeze spontaneously, cloud
material is usually frozen because particles are almost
always present to serve as ice nuclei at temperatures
warmer than this. The resulting ice cloud, called the
anvil cloud on account of its visual appearance, is a
form of cirrus and spreads downwind near the
equilibrium level.

The ice crystals in the anvil have the potential to
serve as ice nuclei if they settle and fall through a deep
layer of cloud debris. In this case, ice crystal growth
occurs more slowly than in the cumulonimbus cloud,
through depositional growth and later, as the particles
fall through the cloud, by collisions and aggregation,
which become more numerous as the ice crystals
approach the 01C isotherm. Residual buoyancy and
usually front-to-rear motion sustain rising air motion
and condensation in this cumulonimbus-generated
stratiform cloud, and supply ice and liquid water from
cloud material left aloft from the rapidly rising
cumulonimbus updrafts. In this way, cumulonimbus
cloud itself triggers the formation of precipitating
stratiform cloud. In fact, the precipitating stratiform
cloud frequently has a mid-level base and the visual
appearance of altostratus. When cumulonimbus are
aligned or otherwise organized in mesoscale convec-
tive systems, they create pressure perturbations,which
help establishmesoscale circulations thatmay prolong
the life cycle andmaintain the identity of, for example,
a squall line.

The cumulonimbus downdraft and outflow creates
a positive pressure perturbation at the surface called
the mesohigh, which is associated with the negative
temperature perturbation and positive density pertur-
bation, including the liquid water loading, of the
downdraft. Aloft to the rear of the cumulonimbus line
is a positive pressure perturbation related to positive
buoyancy. Within the stratiform cloud, low pressure
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develops at middle levels, producing convergence that
draws convective condensate including supercooled
droplets, ice crystals, and graupel into the stratiform
region. Residual upward motion helps sustain the
stratiform cloud, sometimes called the anvil cloud
because of its high cloud top. Beneath the base of the
precipitating stratiform cloud, evaporation of falling
precipitation in the unsaturated air below cloud base
creates the cooling necessary to drive a mesoscale
downdraft. Inflow of environmental air at middle
levels at the rear of the system can contribute mass to
the downdraft. This generative characteristic of
cumulonimbus is not limited to squall lines in mid-
latitudes or the tropics. Wherever a number of
multicellular thunderstorms occur in sufficient prox-
imity that their visual boundaries merge, there is the
exchange of residual cloud material into the environ-
ment that can create a mesoscale convective system
with its additional cloud and circulation features.
Flooding can result from prolonged precipitation
associated with weak vertical shear of the horizontal
wind and slow movement of multicellular cumulo-
nimbus.

The ultimate example of a large circulation created
by cumulonimbus convection is the hurricane, the
most destructive storm in the atmosphere. A hurricane
forms over warm (426.51C) tropical ocean waters far
enough from the Equator for the Coriolis effect to
contribute to its circulation. Formation proceeds from
a preexisting tropical disturbance in an environment
of weak vertical shear of the horizontal wind. Huge
amounts of energy enter its circulation in the form of
latent heat when evaporation occurs at the ocean’s
surface. The weak environmental wind shear allows a
low-pressure center at the surface at the center of the
circulation and a high pressure center aloft to be
aligned over one another in a vertical column called
the eye of the storm that is characterized by an absence
of convection and sinking airmotion. Surrounding the
eye is a ring of cumulonimbus called the eye wall that
contains the most intense updrafts in the entire storm,
fed by radial inflow from the outer portions of the
storm. The intense updrafts in the eye wall extend to
great heights. Outflow aloft carries so much mass that
the central region of low pressure at the surface can be
maintained or may even deepen. The strong pressure
gradients at the surface cause strong winds in the
tangential circulation that enhance evaporation, in-
jecting water vapor and latent heat into the storm.
Surrounding the eye wall, other bands of cumulonim-
bus, called spiral bands, spiral inwards toward the
eye of the storm with cyclonic tangential flow and
radial inward flow. Cumulonimbus in a hurricane’s
spiral bands can generate precipitating stratiform
cloud that entirely detaches from the generating

convective cloud, on account of the strong tangential
circulation.

While hurricanes are the largest circulations gener-
ated by cumulonimbus, inside the very small-scale
tornado vortex are some of the strongest winds
observed in the atmosphere. Most tornadoes form in
supercell thunderstorms, which occur when an envi-
ronment suitable for deep convection exists together
with cyclonic shear and speed shear with increasing
height in the environmental horizontal wind. This
pattern of wind shear produces strong vorticity about
a horizontal axis in the environment.When this vortex
gets tilted upward so that the axis of rotation is
vertical, a rotation in the updraft called the mesocy-
clone can develop. The circulation within the meso-
cyclone is still a great deal larger in horizontal scale
than the tornado vortex, which develops within the
mesocyclone. The upward tilting of the vortex and the
development of the tornado vortex involve complex
interactions among the updraft, downdraft, gust front,
and environment.

Cumuliform Clouds and the
Atmospheric Environment

Overshooting in cumulonimbus updrafts allows mix-
ing of tropospheric air into the stratosphere. This
mixing allows particulates and gases from both
natural sources and human activities to penetrate the
otherwise stable layer at the tropopause. For example,
chemically inert chlorofluorocarbons in the tropo-
sphere, when injected into the stratosphere, decom-
pose in photochemical reactions that release ozone-
destroying elemental chlorine.

Cumuliform clouds play an important role in the
general circulation of the atmosphere. Release of
latent heat during condensation is important in
maintaining energy balance in the Earth and atmos-
phere. Upwardmotion transports latent heat from the
Earth, with its excess of radiative heating, to the
atmosphere, with its radiative energy deficit. In the
tropics, much upward motion in the Hadley cell is
accomplished in cumuliform updrafts. No discussion
or simulation of climate change is complete without
considering the role of cumuliform clouds in mass,
heat, and moisture budgets. Some climate types, for
example the monsoon climate, receive precipitation
predominantly from cumulonimbus.

Cumuliform cloud has long been a target for efforts
related to the artificial modification of clouds to
produce more rainfall, particularly during times
of drought and in semiarid regions during the spring
and summer seasons. One method is to inject solid
carbon dioxide into the cloud at upper levels to freeze
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supercooled water drops to allow them to act as ice
nuclei and initiate the ice crystal precipitation process.
Another seeding agent is silver iodide, which acts as an
efficient ice nucleus at temperatures close to 01C
because its crystal structure resembles that of ice.
Injection by aircraft initiates the ice crystallization
process more quickly than would otherwise occur.
Case studies show evidence that cumuliform cloud can
be modified, but significantly enhanced precipitation
has not been demonstrated. Another hypothesis, that
of dynamic seeding, involves seedingwith silver iodide
to enhance updraft speed, then downdraft speed, then
outflow amount, and finally updraft development in
clouds not yet formed. Dynamic cloud seeding also
aims to promote mergers of adjacent cumulus clouds
to increase their radius and cloud top height. Again,
case study results are suggestive, but great difficulties
remain in convincingly demonstrating statistical sig-
nificance in verifying rainfall enhancement.

See also
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Gust Fronts.HadleyCirculation.Lightning:Overview.
Mesoscale Meteorology: Cloud and Precipitation

Bands; Mesoscale Convective Systems.Monsoon:Over-
view. Walker Circulation.

Further Reading

Cotton WR (2000) An overview of mesoscale convective
systems. In: Pielke RA Jr and Pielke RA Sr (eds) Storms,
vol. II, ch. 31, pp. 3–25. London: Routledge.

Cotton WR and Anthes RA (1989) Storm and Cloud
Dynamics. San Diego: Academic Press.

Emanuel KA (1994) Atmospheric Convection. New York:
Oxford University Press.

Gray W (2000) General characteristics of tropical cyclones.
In: Pielke RA Jr and Pielke RA Sr (eds) Storms, vol. I, ch.
10, pp. 145–163. London: Routledge.

Houze RA Jr (1993) Cumulus Dynamics. San Diego:
Academic Press.

Ludlum FH (1980) Clouds and Storms: The Behavior and
Effect of Water in the Atmosphere. University Park: The
Pennsylvania State University Press.

Pielke RA Jr and Pielke RA Sr (eds) (2000) Mesoscale
convective systems. In: Storms, vol. II, pt IV, pp. 1–251.
London: Routledge Press.

Pielke RA Jr and Pielke RA Sr (1997) Hurricanes:
Their Nature and Impacts on Society. Chichester:
Wiley.

Rogers RR and Yau MK (1989) A Short Course in Cloud
Physics, 3rd edn. Oxford: Pergamon Press.

Measurement Techniques In Situ

D Baumgardner, Universidad Nacional Autónoma de
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Cloud Properties and their Impact
on the Environment

Climate, weather, and hydrological cycles are strongly
affected by clouds, depending upon the temporal
and spatial cloud properties. Clouds consist of liquid
water or ice hydrometeors whose concentration,

size, density, and shape determine the cloud proper-
ties. Table 1 lists the environmentally important
properties of clouds and the hydrometeor character-
istics that are connected to these properties. Table 2
defines these cloud properties with respect to hydro-
meteor properties and the equations that relate
these properties to the size distributions of cloud
particles.

Clouds impact climate primarily by altering the
radiative balance in the region where they form.
Hence, the optical properties of cloud particles, i.e.
phase function, extinction coefficient, and effective
radius, are the important parameters. Weather is
affected by clouds not only because of changes in the
radiative balance, but also by precipitation. The
formation of precipitation depends on the number
concentration, size, density, and shape of cloud
particles.

In situ measurements of cloud properties provide
detail that cannot be obtained from remote sensors
like radars and satellites. This detail is needed to better
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understand the physical processes that govern the
evolution of clouds. In situ measurements focus on
the evaluation of the hydrometeor characteristics
listed in Table 2. Some of these characteristics can
be measured directly with currently available instru-
mentation. Other properties must be derived from
the size distribution that can be measured by some
of the instruments discussed in the following
sections.

Measurement Techniques

Table 3 lists the five general techniques that are used to
measure hydrometeor properties. Hydrometeors are

detected using five fundamentally different measure-
ment approaches: impaction, phase change, light
scattering from individual particles, light scattering
from an ensemble of particles and hydrometeor
imaging. These measurement principles, and the
more frequently used instruments that utilize these
techniques, are described in the following sections.

Hydrometeor Detection by Impaction and
Replication

This technique was one of the first approaches for
examining the size distribution and concentration of
hydrometeors. It has been implemented in several
ways, but the basic principle is that a small impaction

Table 1 Cloud properties, hydrometeor characteristics, and environmental impact

Cloud property Hydrometeor characteristic Environmental impact

Albedo Number and surface area Climate

Phase function and extinction

Effective radius

Lifetime Number and mass Climate, weather, and hydrological cycles

Fall velocity

Spatial distribution Number, surface area, and mass Climate, weather, and hydrological cycles

Fall velocity

Precipitation efficiency and rain rate Number and mass Climate, weather, and hydrological cycles

Fall velocity

Chemical processing efficiency Number, surface area, and mass Climate and hydrological cycles

Concentration

Fall velocity

Table 2 Hydrometeor properties

Property Equation Equation no.

Number concentration (cm�3) N ¼ Pm
i¼1

ni [1]

Surface area concentration (mm2cm� 3) S ¼ p
Pm
i¼1

sinid
2
i [2]

Mass concentration (gm� 3) M ¼ p
6

Pm
i¼1

siri ni d
3
i [3]

Fall velocity (cms� 1) Vt ¼ f ðdi; g; ra; CDÞ [4]

Phase function Pl;y
Rr2
r1

F ðZ; l; r ; yÞpr2nðrÞ dr [5]

Extinction (m� 1) se ¼ Rr2
r1

QeðZ; l; rÞpr2nðrÞdr [6]

Effective radius (mm) Re ¼
Pm
i¼1

nid
3
i

Pm
i¼1

nid
2
i

[7]

m5number of size categories; ni 5number concentration of hydrometeors in size category i ; di 5average diameter of size category i ;

ri 5average radius of size category i ; si 5 shape factor of the hydrometeor of size category i , to account for asphericity (this factor

depends upon the intrinsic property being defined); ri 5density of the hydrometeor in size category i ; ra 5 air density; g5gravitational

acceleration; CD 5 drag coefficient; F 5angular scattering intensity efficiency; Qe 5extinction efficiency; Z5 hydrometeor refractive

index; l5wavelength of incident light; y5angle of light scattered from the hydrometeor.
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surface in the shape of a cylinder, disk, tape, or wire
is exposed to hydrometeors in a moving air
stream. The surface is coated with a highly viscous
liquid to prevent the particles from escaping
the surface after impact. The hydrometeors, or
their impressions, are subsequently counted and
sized with manual or automatic methods to determine
the number concentration and size distribution.
There are three versions of this technique currently
in use.

The Formvar replicator uses a moving tape that is
coated with Formvar, a chemical substance that
remains soft during exposure to the air stream, but
hardens around the impressions the hydrometeors
make after striking the semi-liquid surface. The size
and shape of the hydrometeors are deduced from the
shape of the imprint. A balloon-borne version of a
replicator was developed in the mid-1960s in Japan

and was modified for cirrus studies at the National
Center for Atmospheric Research (NCAR).

TheVideo Ice Particle Sampler (VIPS) uses amoving
8mm transparent tape coated with silicone oil that
is exposed to the particle-laden air stream. After
exposure, the magnified images are recorded digitally
as the tape moves in front of two video cameras.
The Cloudscope uses a video camera to record
hydrometeors as they impact a heated glass window.
The size of each hydrometeor is deduced from the size
and shape of the impacted particle, and the rate at
which it evaporates provides information on thewater
mass.

These instruments are not commercially available
but have been developed for research at several
research institutes. The Desert Research Institute
(Reno, NV, USA) routinely uses the Formar replicator
and Cloudscope in airborne cloud studies. The

Table 3 Measurement techniques

Sensing technique Hydrometeor properties measured or derived Instruments in active use

Impaction and replication of hydrometeors N: Directly Formvar replicator

on a substrate M : Size distribution integration Video Ice Hydrometeor Sampler (VIPS)a

Vt : Size distribution integration HYVISb

Pl;y: Size distribution integration Cloud Scope (Desert Research Institute,

Re: Size distribution integration Reno, NV, USA)

se: Size distribution integration

Phase change of hydrometeors N: From CVI only Hot-wire Liquid Water Sensorc

M : Directly Nevzorov Probed

Counterflow Virtual Impactor (CVI)a

Icing Rate Sensore

Single hydrometeor light scattering N: Directly Forward Scattering Spectrometer Probe

M : Size distribution integration (FSSP-100)c

Vt: Size distribution integration Cloud and Aerosol Spectrometer (CAS)c

Pl;y: Size distribution integration (Polar

Nephelometer measures directly)

Re: Size distribution integration

se: Size distribution integration

Hydrometeor ensemble light scattering M : Direct from PVM Particle Volume Monitor (PVM)f

Pl;y: Partial information from CIN Cloud Integrating Nephelometer (CIN)f

Re: Direct from PVM Cloud Extinction Meterd

se: Direct from CIN and Transmission meter

Nonintrusive optical imaging N: Directly 2D Optical Array Probe (OAP)c

M : Size distribution integration Cloud Particle Imager (CPI)g

Vt: Size distribution integration

Pl;y: Size distribution integration

Re: Size distribution integration

se: Size distribution integration

aNational Center for Atmospheric Research, Boulder, CO, USA.
bMeteorological Research Institute, Japan.
cDroplet Measurement Technologies, Boulder, CO, USA.
dSky Tech Research, Toronto, Ontario, Canada.
eRosemount Aerospace Inc., Minneapolis, MN, USA.
fGerber Scientific Inc., Reston, VA, USA.
gStratton Park Engineering, Boulder, CO, USA.
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National Center for Atmospheric Research (Boulder,
CO, USA) uses the VIPS in its research. A dropsonde-
type instrument operating onaprinciple similar to that
of the VIPS has been used by the Meteorological
Research Institute in Japan. A balloon-borne instru-
ment operating on a similar principle and referred to as
the HYVIS has been used to sample cirrus and
thunderstorm clouds for about 10 years in Japan.

Hydrometeor Mass Detection by Phase Change

Several instruments measure the water content of
hydrometeors by measuring the energy of phase
change on evaporation or freezing. Two of these
instruments, the hot-wire liquid water sensor and
the Nevzorov probe, derive the water mass from the
amount of thermal energy required to evaporate the
hydrometeors after impaction. This method utilizes a
cylindrical or disk-shaped sensor that is maintained at
a constant temperature. Thermal energy is removed
from the sensor through convection and by the
evaporation of water droplets that strike the heated
element. The signal processing electronics of these
sensors measure the power required to maintain the
sensor at a constant temperature. The thermal energy
removed by convection is calculated directly fromheat
transfer theory, so that the remaining energy loss is due
to evaporation of water droplets. The water mass,M,
required to produce this energy loss can then be
derived from first principles as eqn [8].

M ¼ P� Pd

AVðLv þ cwðTb � TaÞÞ ½8�

In eqn [8], P is the measured power, Pd is the
convective heat loss, A is the sensor area, V is the air
velocity, Lv is the latent heat of vaporization, cw is the
specific heat of water, Tb is the boiling point of water,
and Ta is the air temperature.

Sensors that utilize a cylindrical geometry are useful
only for water clouds, since ice crystals will bounce
from the sensor before totally evaporating. This
characteristic, however, has been utilized in the
Nevzorov probe, shown schematically in Figure 1.
This instrument uses two heated sensors, one with a
cylindrical geometry and the other in the shape of a
concave disk. In water clouds, both sensors respond
equally. In mixed-phase or total ice clouds, the
concave sensor captures the hydrometeors long
enough for them to evaporate. Comparison of the
total water content (TWC) from the concave sensor
and the liquid water content (LWC) from the cylin-
drical sensor provides a measure of the ice water
content.

Another method for deriving water mass by evapo-
ration is to measure water vapor formed from

evaporation of the hydrometeors. The Counterflow
Virtual Impactor (CVI) utilizes this technique. At the
CVI inlet tip (Figure 2), cloud droplets or ice crystals
larger than some aerodynamic diameter (usually
about 5–10mm diameter depending on conditions)
are separated from the interstitial aerosol and water
vapor and ‘virtually’ impacted into dry nitrogen gas.
This separation is possible via a counterflow stream
of nitrogen out of the CVI tip, which assures that
only larger hydrometeors are sampled. The water
vapor and nonvolatile, residual nuclei that remain
after droplet evaporation are sampled downstream
of the inlet with selected instruments. These may
include a hygrometer to determine water content, a

LWC sensor
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Liquid
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Figure 1 The Nevzorov instrument uses two sensors to deter-

mine the Liquid Water Content (LWC) and Total Water Content

(TWC). The LWC sensor (A) responds primarily to water droplets

while the TWC (B) responds to water and ice particles.

Sample flow
Ambient
air flowCounterflow

Nitrogen flow

Figure 2 Schematic of theCVI inlet. Nitrogen gas is pumped into

the annular region formed by two concentric tubes joined at the tip.

The gas flows in opposing directions after passing through the

porous center tube. The counterflow out the inlet tip prevents small

interstitial aerosol particles from entering the inlet, while cloud

droplets or ice particles have enough inertia to pass through the

counterflow region and enter the sample flow. Once sampled,

droplets or crystals are evaporated in the heated tip region.
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condensation nucleus counter, an optical particle
counter, or particle filters for various chemical anal-
yses. Since droplets or crystals in a large sampling
volume converge into a smaller sample stream within
the instrument, concentrations within the CVI are
significantly enhanced, which leads to a better detec-
tion limit.

Another instrument that uses phase change to
determine hydrometeor mass is the Rosemount icing
rate sensor, which is sensitive only to supercooled
water droplets. This technique is based on changes in
the natural frequency of a vibrating cylinder due to
accretion of ice on its surface. The cylinder is vibrated
using magnetostrictional excitation that causes axial
oscillations of the cylinder at a natural frequency of
40 kHz. As supercooled water droplets impact the
cylinder, they freeze and their added mass decreases
the vibrational frequency. This change in frequency is
proportional to the mass and, through calibration, is
converted to a liquid water content.

Hydrometeor Size Detection by Single
Hydrometeor Scattering

Optical particle counters detect the light scattered
when a particle passes through a focused light beam.
Instruments that convert the light amplitude into a
size, using Mie scattering theory, are called single-
particle spectrometers. Two instruments for measur-
ing cloud droplet sizes and concentrations are the
ForwardScattering Spectrometer Probe (FSSP) and the

Cloud andAerosol Spectrometer (CAS). As droplets in
the free air stream pass through a laser beam and
scatter light, these instruments collect the light
through a cone with a solid angle from 41 to 121 and
convert the photons into an electrical signal by means
of a photodetector. TheCAS also collects light over the
same forwardangles, but has a second set of optics that
collects backward-scattered light from 1681 to 1761.
Figure 3 is a diagram of the CAS optical configuration
showing the primary features of the light-scattering
collection system used in these two instruments, the
main difference being the additional backscatter
optics in the CAS. The signal-processing electronics
analyze the maximum amplitude associated with each
light-scattering event and categorize this signal into a
preassigned size bin such that, over a specified period
of time, a frequency histogram is accumulated that is
called a size distribution, i.e., a method of presenting
the number of droplets in different size intervals that
were found in a particular cloudy volume of air.When
the droplet number is divided by the volume sampled,
this size distribution is expressed as a number concen-
tration per size interval. Mie theory, combined with
calibration using spherical particles of known size and
refractive index, is used to convert the scattered-light
signal into a size. The cloud properties are then derived
as shown in Table 2 by integrating over this size
distribution. Figure 4 illustrates size distributions of
number concentration and liquid water contact
(LWC). These two distributions show how smaller
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Figure 3 This block diagram shows the general optical layout for components in the CAS. Light that is scattered as particles pass

through the CAS laser beam is collected in both the forward and backward directions and measured with photodetectors. The ‘Masked

detector’ has an aperture that blocks light that is scattered from particles that pass through the laser beam at distances farther from the

center of focus than optimum. The sapphire windows protect the optics from the elements.
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droplets dominate the total number concentration
(eqn [1]), whereas the large droplets dominate the
LWC (eqn [3]).

Single-particle scattering is also used by the LaMP
polar nephelometer to directly measure the phase
function of hydrometeors. In this instrument, shown
schematically in Figure 5, the particles intersect a
collimated, high-energy laser beam (1W, l ¼ 804 nm)

at the focal point of a paraboloidal reflector. The
scattered light is reflected onto a circular array of 54
detectors. Each detector senses signals corresponding
to a range of scattering angles. From these measure-
ments a phase function can be derived as shown in
Figure 6, where the phase function ofwater droplets in
a stratocumulus cloud is compared with theoretical
predictions.

Hydrometeor Mass and Optical Properties
by Ensemble Particle Scattering

Light scattering from an ensemble of hydrometeors is
the technique used by several instruments that derive
LWC, extinction coefficient, and effective radius from
their measurements. Light scattered by particles is
composed of three components: reflection, refraction,
and diffraction. The FSSP and CAS measure light that
is primarily reflected and refracted. In contrast,
ensemble-scattering instruments measure the diffract-
ed component of scattered light. All of the instruments
consist of a light source and one ormore detectors that
measure transmitted or scattered light from the
particle field. The Particle Volume Monitor (PVM),
shown schematically in Figure 7, illuminates an
ensemble of hydrometeors with a collimated laser
that focuses the near-forward scattered light onto two
detectors that are masked with variable-transmission
filters. The filters have been designed to provide
transmission functions that are mathematically de-
rived to approximate inversions of the integral equa-
tions that relate particle surface area (PSA) or LWC to
the flux of light scattered by the ensemble of hydro-
meteors. It has been shown theoretically that the
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scattered-light flux, FðdÞ, measured by the PVM LWC
sensor, for an ensemble of hydrometeors of size, d,
will be proportional to k1d

3, where k1 is a scaling
constant. This proportionality holds true if the
transmission filter consists of annular segments iden-

tified by the subscript j and FðdÞ ¼PN
j¼1 fjTj, where

fjðdÞ is the flux of diffracted light incident on j, Tj is

the transmission of filter j, and N is the total number
of annuli. The transmission functions Tj are deter-
mined by mathematical inversion of this relationship,
and the scaling factor k is determined through
calibrations in a well-characterized, wet wind tunnel.
A similar procedure is followed to measure PSA as a
function of k2d

2, and different sets of annular filters
are used on the PSA detector. The ratio of the PVM
LWC to PSA gives a measure of the effective radius, re
(Table 2).

The phase function of hydrometeors, as discussed in
the previous section, can be measured for single
particles using an array of detectors. An approxima-
tion to the phase function at a given wavelength, l, is
the asymmetry factor, gl (eqn [9]).

gl ¼
R
cos yPðl; yÞ dðcos yÞR

Pðl; yÞ dðcos yÞ ½9�

The asymmetry factor is the average cosine of the
angles for scattered radiation and provides a measure
of the relative amount of forward- and back-scattered
light from an ensemble of hydrometeors; this factor is
41 when more light is forward-scattered than back-
scattered, 0 for isotropic scattering, ando1 when the
majority of light is back-scattered. One instrument

that has been specifically designed to measure gl is the
Cloud Integrating Nephelometer (CIN).

The CIN consists of a collimated laser beam that
passes through an ensemble of hydrometeors and four
detectors that are positioned tomeasure scattered light
in the forward direction (S1 and S3), and in the
backward direction (S2 and S4), as shown in Figure 8.
The denominator in eqn [9] is proportional to the total
scattering coefficient and the sum of detectors S1 and
S2 is an approximation to this coefficient. The S3 and
S4 detectors have optical masks that cosine-weight the
scattered light collected by these detectors and their
sum is an approximation to the numerator of eqn [9].
After suitable corrections for the angles over which
light is not being collected, the ratio of (S31S4) to
(S11S2) provides an approximation to the asymmetry
factor.

The measurement of the total light extinction, se, is
based on the reduction of light intensity between an
emitter and receiver due to a cloud. In the version
presently used in some airborne measurement sys-
tems, an incandescent lamp is used as a source and a
collimated light beam with a 0.51 divergence is
directed onto a cone-cube prism where the beam is
reflected backward to the optical receiving unit. A
photodiode measures the intensity of the transmitted
light, normalized to the intensity of the light source.
The extinction coefficient is calculated as eqn [10],
where L is the distance between the transmitter and
receiver, and F and F0 are the measured and incident
light intensities, respectively

seðm�1Þ ¼ 1

2L
ln

F

F0
½10�

Nonintrusive Optical Imaging

One of the first methods in cloud physics research of
optically measuring hydrometeor size was by imaging
onto a linear diode array the shadow of a particle that
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Figure 7 Schematic illustration of the principal components of

the PVM-100. Forward scattered light from an ensemble of

particles in the laser beam is measured by the LWC and PSA

detectors. These detectors are masked with variable transmission

filters, whose transmission functions are weighted to provide light

that is proportional to LWC or PSA, respectively.
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Figure 8 Schematic illustration of the primary optical compo-

nents of the CIN. The CIN measures an approximation to the total

scattering coefficient by adding the scattered light measured by

detectors S1 and S2. The cosine masks on detectors S3 and S4

provide an approximation to the asymmetry factor when divided by

the scattering coefficient.
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passed through a laser beam (Figure 9). The on/off
state of the diodes in the array is recorded at a rate
proportional to the velocity of the particles passing
through the laser, and the images can subsequently be
reconstructed to show the features of the hydromete-
ors, as shown in Figure 10. These types of instruments,
called two-dimensional optical array probes (2D-
OAPs), can typically measure in the size range from
25mm to 800 mm (2D Cloud Probe) or 200 mm to
6400 mm (2D Precipitation Probe).

This technique has been refined to measure hydro-
meteors at a higher resolution, down to 2.5 mm, with
theCloudParticle Imager (CPI), by using apulsed laser
and a two-dimensional photodetector array to capture
the particle image. In addition, 256 gray levels are
measured in the CPI as opposed to the binary levels in

the 2D-OAP. Figure 11 shows examples of some
of the ice crystals that have been measured with
the CPI.

Measurement Limitations and
Uncertainties

Each of the measurement systems described in the
previous sections has performance limitations. The
impaction and replication devices, with the exception
of the icing rate probe, require substantial processing
of the data to extract size and concentration informa-
tion. The sampling process impedes the airflow and
hence impaction does not occur with 100% efficiency:
smaller hydrometeors are swept around the sampling
plate without being captured. There are also uncer-
tainties in the replication device that depend upon
hydrometeor velocity and air density when converting
from replicated to actual size. The icing rate probe also
suffers from collection efficiency less than 100% and
requires temperatures below freezing. The conversion
from measured icing rate to LWC requires calibration
in a well-characterized icing wind tunnel, with an
estimated accuracy of 750% depending upon tem-
perature, velocity, and LWC.

The cylindrical hot-wire probes have decreased
sensitivity to droplets larger than about 40 mm. Below
10 mm, these probes have collection efficiencies less
than 100%. The estimated uncertainty in derived
LWC is 710% in all water clouds, but the measure-
ments are not reliable in mixed-phase or all ice-phase
clouds since the sensors show a partial response to ice
crystals, depending upon their size.

Collimated laser

Viewing volume Sampled volume
Flight direction

Sampling area

Diode array

Figure9 OAPsmeasure theshadow imageof particles that pass

through a collimated laser. The laser illuminates a linear array of

diodeswhose ‘on’ and ‘off’ statearemonitoredby signal processing

electronics to determine when a shadow is present or not. A two-

dimensional image is reconstructed by recording the on/off state of

these diodes as a function of time.
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Figure 10 This figure illustrates the reconstructed images recorded with a 2D-OAP and shows the crystal structure of dendrites and

aggregates of dendrites
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The CVI has been demonstrated to measure ice
water concentrations as small as 1mgm�3 and
provides condensed water contents accurate to about
15%. Uncertainties are due to flowmeasurements and
geometry, as well as the accuracy of the hygrometer
used as a sensor. Hydrometeor number concentrations
are more uncertain owing to potential losses and
breakup of larger particles on CVI surfaces.

Single-particle light scattering spectrometers
are excellent sensors for measuring total droplet
concentration in all water clouds when the concentra-
tions are less than about 400 cm� 3, but at higher
concentrations the probability increases that more
than one droplet will be in the sample volume, a
condition that these instruments cannot detect.
Uncertainties in counting are on the order of 715%
at low concentrations but they can exceed 730% if
corrections are not applied for coincidence losses. The
uncertainty in derived sizes from these instruments is
on the order of 725%. The sources of these uncer-
tainties are nonuniform laser intensities, electronic
response time roll-off,Mie scattering ambiguities, and
coincidence. The combined uncertainties in concen-
tration and size propagate to larger uncertaintieswhen

deriving integral properties (Table 2) from the size
distributions. For example, the expected uncertainty
in LWC derived from these instruments is on the order
of 740%.

For ensemble particle measurements, such as the
PVM, the primary limitation is in underestimating the
LWC contained in droplets outside the optimum
measurement range of this sensor. When the major
fraction of LWC is in droplets 10–40 mm diameter, the
uncertainty is approximately 715%. Larger uncer-
taintieswill arise asmore of the LWC is found in bigger
droplets.

The image of a hydrometeor sized by an optical
array probe (OAP) is a function of the distance at
which the particle ismeasured from the center of focus
(COF): the farther from the COF, the larger the image
of the hydrometeor. This has been constrained elec-
tronically in the OAP but still represents a sizing
uncertainty of about 715%. There is a large uncer-
tainty in derived concentration of hydrometeors less
than about 100 mm because of uncertainties in the
sample volume. The sample volume in an OAP is
approximately a function of the square of the diameter
of the particle. Below 100 mm, the uncertainty in this

Figure 11 Examples of the type of measurements that can be made with the CPI. They are representative of the nonpristine,

asymmetric crystals that aremore often seen than not in clouds and demonstrate the power of the CPI to resolve the very fine structure of

small ice crystals. (Images courtesy of SPEC Inc., Boulder, CO, USA.)
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sample volume is on the order of 20%.As in the single-
particle light scattering probes, derived integral prop-
erties like LWC will have an uncertainty proportional
to the errors in concentration and sizing. The estimat-
ed uncertainty in derived LWC from OAPs is approx-
imately 33%. A much larger source of error with
OAPs arises when hydrometeors are ice, with aspher-
ical geometry and unknown bulk densities. In these
cases the uncertainty in derived ice water content may
easily exceed 100%.

See also

Cloud Chemistry. Cloud Microphysics. Clouds: Cli-
matology. Convective Cloud Systems: Modelling. Me-
soscale Meteorology: Cloud and Precipitation Bands.
Parameterization of Physical Processes: Clouds.
Satellite Remote Sensing: Cloud Properties.
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Introduction

Coastal meteorology is the study of smaller-scale
weather systems that can be attributed to the presence
of a coastline. The detailed distributions of winds,
temperature, clouds and precipitation, visibility,
boundary layer structure, and other weather elements
in regions of complex coastal geometry are of
fundamental interest in coastal meteorology. Both
the development of smaller-scale circulations forced
by the change in surface characteristics at the coastline
as well as the modification of larger-scale weather
systems by interaction with a coastline are a part of
coastal meteorology. Although there are a myriad
specific coastal circulations around the world that

comprise coastal meteorology, these circulations are
united through general dynamic principles associated
with several basic forcing mechanisms and their
interaction with larger-scale processes that occur at
coastlines.

As suggested in the above definition of coastal
meteorology, a broad range of spatial and temporal
scales is important in coastal weather events. Typi-
cally, the mesoscale or smaller-scale aspect of the
coastal circulations is of primary interest, which often
arises from the smaller-scale structure of the coastline
itself.Mesoscale coastal structures arise in twodistinct
ways. First, mesoscale dynamic forcing of the atmo-
sphere by the coast can generate mesoscale circula-
tions. In these situations the synoptic-scale forcing is
typically rather weak and the coastal properties
generate structure differences that dynamically force
the atmosphere. Second, mesoscale structures develop
along coastlines through the interaction of the coast
and a synoptic-scale circulation. These mesoscale
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structures are an artifact of the interaction for a given
synoptic forcing and depend upon the synoptic forcing
in order to exist at all. For these types of circulations
the synoptic forcing tends to be strong and the coastal
properties alter the synoptic forcing to introduce or
organize featureswithin the synoptic scale system.The
coastal forcing may not be fundamental to their
existence but simply a modifying factor. Examples of
mesoscale forced circulations and synoptically forced
circulations are the sea breeze and coastally forced
precipitation structures in a front, respectively.

The development and evolution of coastal circula-
tions are inherently dependent on the nature of the
coastal boundary. The coastal boundary may be
characterized either by a change in the surface
properties from water to land that result in heating
differences or by coastal mountains or slope changes
that can block or channel the flow. These surface
properties vary along the coast, which adds additional
complexity to the nature of the boundary. These
characteristics of the coastal boundary allow a
simplification of coastal circulations into three idea-
lized coastal meteorological problems: Thermally
forced circulations, Topographically forced circula-
tions, and Synoptic-scale coastal interactions. These
describe the fundamental processes that shape coastal
weather phenomena. Pure thermally driven circula-
tions arise due to heating differences that occur across
a flat or gently sloped coastal boundary and are often
considered without along-shore variations. Examples
of these types of circulations are the classic sea or land
breeze and coastal fronts. Pure topographically forced
circulations arise from a significant change in surface
slope across the coast and do not depend upon the
surface characteristic changes that may also occur.
Examples of topographically driven circulations
include lee vortices, flow-blocking effects, and cold
air damming. Synoptic-scale coastal interactions
represent a class of smaller-scale phenomena that arise
from the passage of a larger-scale circulation across a
coastline. These smaller-scale circulations occur when
the surface characteristics are able to modify larger-
scale processes in a manner that spawn a circulation
that may depend upon both the coastline and
the synoptic scale system. Examples include the
modification of fronts approaching or crossing a
coastline to produce a coastal barrier jet and tropical
cyclones making landfall to spawn severe coastal
thunderstorms.

Character of the Coastal Atmosphere

The development of coastal circulations depends upon
the structure and characteristics of the low-level

atmosphere that occurs at a coastline. Fundamentally,
the only difference at the coastline is a change in the
surface properties, which impact directly only on
the atmospheric boundary layer. The structure of
the boundary layer is determined by a combination of
surface forcing through the surface fluxes and the
larger-scale flow established by the synoptic-scale
weather pattern.

The surface energy balance that determines the
surface temperature on either side of the coast
typically establishes different heat fluxes over the
water versus the land. At times the overlying atmo-
sphere may be warmer than the surface and other
times it may be colder than the underlying surface.
Consequently, the boundary layer stratification and
the associated transfer of heat upward from the
surface usually result in differing boundary layer
structures over the land and the water as well as a
surface temperature gradient at the coast. This
difference in low-level thermal structure can force
flow acceleration across the coast and produce
differing depths to the boundary layer on either side
of the interface, which give rise to a variety of coastal
circulations (see Energy Balance Model, Surface).

The coast also represents an important moisture
boundary that arises because of the differing surface
fluxes of moisture over the water versus the land.
These differences in low-level moisture contribute to
the occurrence of and modifications to coastal clouds
and precipitation. Coastal fog and low-level stratus
are a direct result of themoisture supplied by the ocean
that has cooled either through radiative or dynamic
processes. Coastal thunderstorms depend heavily on
the supply of moisture from the ocean that gets forced
upward in coastal circulations such as the sea breeze.
While the coastal moisture distribution is not funda-
mental to orographic enhancements to coastal rain,
the interaction of various coastal flows with coastal
mountains is a very important process that determines
details in coastal clouds and precipitation.

Friction differences also occur across the coastline
and influence the character of the coastal atmosphere.
The frictional turning of the flow toward lower
pressure that normally occurs near the surface may
be more pronounced over the rough land surface
compared with the relatively smooth water surface.
These frictional differences can result in coastal
convergence or divergence, depending upon the
direction of the flow (offshore, onshore, or coast-
parallel). Given time for the flow to adjust, these
frictional differences are often not important for
spawning coastal circulations, but they can greatly
shape the character of the flow along a coast.

The nature of the coastal atmosphere is also
determined by the direction of the large-scale flow
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direction relative to the coastal boundary. Synoptic-
scale weather patterns are very important for setting
the stage for different types of coastal circulations or
weather events. The larger-scale weather system
determines the flow direction relative to the coastline
to be directed either offshore, onshore, or coast-
parallel. These differing flow directions as well as the
strength of the flow are important for determining
what type of coastal circulation may develop. For
example, a sea breeze can be completely masked by
strong onshore flow. Another aspect of the larger-scale
weather system that is important in coastal meteorol-
ogy is the processes that establish the low-level static
stability. Large-scale subsidence can be very important
for establishing a strong low-level inversion that limits
the ability of the air to flow over coastal topography.
Differential warm advection and its time variation can
be important for altering the boundary layer stratifica-
tion to allow the excitation of low-level mountain
waves ahead of an approaching frontal system. In
short, the large-scale weather system establishes
the environment within which mesoscale coastal
circulations arise and evolve.

Thermally Forced Coastal Circulations

Surface heating differences are produced across a
coastline owing to the differing surface energy
balances that occur for water and land surfaces, and
these differences initiate the most common coastal
circulation, the thermally driven circulation. Ther-
mally driven circulations are very well understood
from a theoretical basis, and on larger-scales essen-
tially form the basis for adjustments in quasi-
geostrophic flows. A simple dynamic understanding
of the development of thermally forced circulations
can be found in the following equation that describes
the time rate of change of a closed-path circulation in
the horizontal (cross-coast) and vertical plane:

dC

dt
¼ �

I
RT dp

The term on the right-hand side is referred to as the
solenoidal term and represents the generation of
circulation (or vorticity) by the fact that the pressure
and temperature structures are different across the
coastline. The right-hand side can be integrated
between a P0 (lower) and P1 (upper) pressure level to
yield the thickness between the pressure levels. This
results in a height gradient or pressure gradient across
the coast due to the cross-coast temperature differ-
ence. Consequently, the air accelerates towards the
lower height or pressure over the land area to force a
cross-coast circulation. This is a classic result covered

in numerous dynamics textbooks. The key point is that
if a thermal gradient develops (baroclinic structure)
then the air must respond to the pressure gradient to
force a circulation. If the thermal gradient stays fixed
over time then the atmospherewill simply adjust to the
pressure gradient and the winds tend toward geos-
trophic balance. Hence, the initially cross-coast
forcing would result in geostrophically balanced
along-coast winds. The time scale of this adjustment
is given by the inertial period, assuming that the
thermal structure does not change by the induced
circulation.

One of the most recognizable thermally forced
coastal circulations is the sea–land breeze circulation.
This circulation owes its existence to the differential
heating that occurs across the land–sea boundary. As
the land warms up relative to the adjacent ocean, a
temperature gradient is established at the coast, as
shown inFigure 1. As noted in the above description of
thermal forcing, this leads to the acceleration of the
flowacross the coastal boundary, owing to the induced
pressure gradient. The circulation is confined to the
layer through which an identifiable thermal gradient
exists. This is usually below any inversion or stable
layer capping the boundary layer at the coast, and the
entire circulation typically occurs below 2–3 km. A
complete circulation is formed through conservation
of mass as surface wind divergence (convergence) is
established offshore (inland), which forces vertical
motions as well as a return flow aloft, as depicted in
Figure 1. The upward motion associated with the sea
breeze is an important contributor to the development
of coastal convection and thunderstorms. The sea
breeze as depicted in Figure 1 may reverse its sense of
circulation at nightwhen the land becomes cooler than
the adjacent ocean, although this is not an entirely

2 km

1 km

Surface

Water Land

Warm

Simplified circulation
with daytime heating

Cool
Sea
breeze
front

Figure1 Idealized seabreeze circulation. The solid thin lines are

isolines of constant potential temperature of the boundary layer,

cool over water and warm over land. The heavy arrows depict the

sense of the circulation or winds. The approximate vertical scale in

kilometers is given on the left.
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symmetric response, because the boundary layer
structure often becomes decoupled owing to the
surface cooling. These basic circulations are highly
modified by numerous factors, such as the direction of
the larger-scale flow, distribution of both low and high
clouds, coastline shape, and boundary layer or deeper
static stability (see Land–Sea Breeze).

Another type of thermally forced coastal circulation
is the wintertime coastal front that develops along
parts of the eastern coast of the United States aswell as
elsewhere around the world. In this case, the ocean
areas are heated from below through surface heat
fluxes from the relatively warm ocean into overlying
cold air. This process establishes a coastal temperature
gradientmuch like the land breeze situation.However,
the coastal front forms as the large-scale winds change
to a more coast-parallel direction, allowing frictional
convergence to concentrate the coastal temperature
gradient into a front. Figure 2 depicts an example of a
coastal front after thewinds have shifted to an onshore
direction. Crucial to this process is the maintenance of
the cold air over the land as the winds shift, which is
typically linked to the process of cold air damming due
to inland mountains. The coastal front is a shallow
boundary layer front unlike other fronts, and typically
behaves like a warm or stationary front, where warm,
moist, south-easterly flow comes off the ocean and is
forced up and over a wedge of cold air inland from the
coastal front. This lifting is responsible for low clouds
and light precipitation on the inland side of the coastal
front. Freezing rain, freezing drizzle, and even snow
may occur on the cold side of the coastal front, and can
greatly impact coastal metropolitan areas.

Topographically Forced Coastal
Circulations

In considering the interaction of a flow with coastal
topography, several general factors must be taken into
account. First is the nature of the topography itself – an
isolated mountain, a long, high mountain barrier, a
gradually sloping coastal plain, etc. Each type of
coastal topography can dictate a particular response
for the same synoptic-scale flow regime. Second, the
nature of the incident flow plays a big role in
determining the response to a given topographic
feature. Whether the air will go up and over a
mountain or be forced around it is critical in
determining the type of topographically forced circu-
lation that may arise. Fundamentally, this depends
upon whether the airflow has sufficient kinetic energy
to overcome the gravitational potential energy, which
are respectively associated with the incident wind
velocity and the static stability, to flow over the
mountain. For the statically stable atmosphere, the
restoring force acting on a lifted parcel is the difference
between the ambient lapse rate and the dry adiabatic
lapse rate after lifting a parcel from its initial height to
some new height such as the top of the mountain, hm.
This restoring force is given directly from the Brunt–
Väisälä frequency, N ¼ ðg=y0Þðdy=dzÞ1=2: Conse-
quently the condition of whether a given air parcel
will go up and over a mountain depends on a Froude
number, Fr ¼ U=Nhm, associated with the mountain.
If Fr > 1 then the airflow will easily go over the
mountain, which can result in a variety of mountain
wave responses. If Fro1 then the airflow will not be
able to go over the mountain, which suggests that the
flow is essentially blocked by the topography andmust
either go around or be turned back.

For realistic three-dimensional atmospheric flows
characterized by a low Froude number, the extent and
onset of flow blocking depends upon the character of
the mountain barrier. Generally, steep mountains are
more effective at producing blocked flow, and the
effective steepness of the mountain depends upon the
stability, N, and location through the Coriolis para-
meter, f . A dynamically defined steepness, Nhm=fL,
can be defined and indicates that for larger values ofN
a less steep mountain can cause blocking. Conse-
quently, the dynamic mountain steepness is funda-
mental in initiating flow blocking, and in higher wind
speeds blocking occurs only with steeper topography
or greater stratification. In addition to the occurrence
of blocking, the flowandmountain characteristics also
determine a distance upstream from a mountain
barrier where the flow is blocked. The height of the
mountain and stratification along with the Cori-
olis parameter define a mountain Rossby radius,

Figure 2 Depiction of an idealized coastal front along the New

England coast. The solid lines depict the sea level pressure, with

the axis of high pressure extending south over the inland area.

Dashed lines show the surface temperature in 1C, with cold

temperatures inland and a well-defined coastal temperature

gradient.

COASTAL METEOROLOGY 501



L ¼ Nhm=f , which identifies the distance upstream
where the flow is influenced by the blocking. Within
this Rossby radius the blocked flow is highly ageos-
trophic and the winds tend to point down the pressure
gradient. This Rossby radius also identifies a distinct
coastal zone where low-Froude-number, topographi-
cally forced flows occur (seeMountainMeteorology).

One example of a low-Froude-number flow that
produces a significant interaction between the coastal
topography and the atmospheric boundary layer
occurs along the West Coast of the United States as
well as other locations characterized by a cold ocean
and significant coastal topography. Figure 3 shows a
narrow tongue of coastal stratus and southerly winds
that is observed to propagate up the coast. This stratus
surge occurs when the summertime marine boundary
layer off the coast is characterized by a strong low-
level inversion and a well-mixed boundary layer. The
coastal disturbance is initiated after a period of
significant offshore flow, in which the marine bound-
ary layer is cleared out and the inversion base is
lowered to the surface, resulting in cloud-free condi-
tions. As the offshore flow continues, a lee trough
develops at a particular location along the coast as a
weak mesoscale low. This sets up a south-to-north
pressure gradient force that forces the air to flowup the
coast from the south because the coastal mountains
block the airflow. Evidence suggests that these
disturbances propagate as coastally trapped Kelvin
waves as long as the south to north pressure gradient
remains. The air cannot move inland, owing to the
blocking by the coastal mountains. These distur-

bances, while relatively infrequent (about 1–2 per
month in the summer), can rapidly change coastal
conditions from clear to foggy so as to impact on
airport operations as well as on beachgoers.

Another example of a summertime coastal circula-
tion that arises owing to flow blocking by a strong
low-level inversion and coastal mountains is the
development of a coastal jet and associated regions
of enhanced low-level winds. Figure 4 illustrates the
situation that occurs along the US West Coast, where
the strong boundary layer inversion slopes down
toward the coast to establish a strong cross-coast
thermal gradient. While coastal jets occur where there
are persistent coastal temperature gradients, in this
case the coastal jet develops below this inversion as a
coast-parallel flow because of both a strong thermal
gradient and blocking by the coastal mountains. The
thermal gradient sets up a strong cross-coast pressure
gradient that may initially result in a cross-coast sea
breeze circulation, but as the pressure gradient persists
beyond a single diurnal cycle strong along-coast winds
are established in a more quasi-geostrophic response.
As a consequence of the blocking, this strong, along-
coast, low-level jet typically behaves in a manner
analogous to hydraulic flow through a channel where
changes in channel width result in flow speed increases
or decreases. For the coastal jet, the strong inversion,
inland blocking by topography, and an onshore-
directed pressure gradient force dynamically produce
this channel and regions of enhanced winds in the lee
of capes and points where the channel characteri-
stics change. These regions of enhanced winds are a

Figure 3 Visible satellite image showing a narrow tongue of stratus clouds along the California coast. Ship and buoy reports are also

shown and indicate northerly winds in the clear air and southerly winds in the cloudy region. This cloud feature and the associated winds

propagate north over time.
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manifestation of the flow adjustment to the coastal
topography under conditions where the flow speed is
faster than the propagation of gravity waves.

Flow around topography and through gaps in the
topography along coastlines are other examples of
topographically forced coastal circulations where the

Froude number is low. In the presence of relatively
strong stable stratification in the lower atmosphere,
the flow must be blocked and subsequently channeled
around topographic features. Figure 5 illustrates
increased wind speeds downwind from gaps in a
topographic barrier. These gaps in coastal mountain
ranges act as channels through which the air can flow
that would otherwise be blocked upstream. Low
pressure occurs offshore from these gaps, and the
flow undergoes acceleration owing to the pressure
gradient through the gap. Very high winds can occur
near the mouths of these coastal gaps, and these
regions of high winds may extend considerable
distances offshore, as seen in Figure 5.

The other extreme in terms of flow interaction with
topography is when Fr � 1 and the winds are strong
enough for a given stratification to easily make it up
over the mountain. In this case, the air is forced up the
mountain on the incident side by mechanical lifting
and down the other side by negative buoyancy. While
this simple reasoning suggests a symmetric response
up- and downstream from the mountain, the actual
response of a flow across a mountain barrier depends
upon a variety of factors, including the width of the
mountain, stratification distribution, and incident
wind speed. When the wind is either strong and/or
the mountain is narrow, the flow cannot adjust
geostrophically, and vertically propagating gravity
waves are excited by the cross-barrier flow. The
detailed structure of the wave response depends
critically on the stratification andwindprofiles around

Figure 4 Three-dimensional view of the California topography

viewed from the south-west. The solid, sloping plane depicts the

hypothetical topology of themarine boundary layer inversion base.

The axis of the strongest low-level winds (the coastal jet) is

depicted by the arrow below the inversion and along the coast.

Figure 5 Satellite-derived surfacewind speeds near Japan.Gaps through the Japanesemountains and Islands are noted by the heavy

arrows. The winds are from the north-west and regions of higher winds are shown downstream from these gaps.
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the mountain barrier. However, the adiabatic cooling
due to lifting on the upstream side of themountain and
warming on the downstream side often cause the
development of a windward ridge and leeward trough
in the sea-level pressure.When the wind is either weak
and/or the mountain is broad, the flow tends to adjust
geostrophically as it crosses the barrier and a pressure
ridge develops over the mountain owing to the
adiabatic cooling as the air is lifted over the barrier.
The flow in this case is deflected anticyclonically on the
windward side and back cyclonically on the lee side.
Since many coastal mountains are relatively narrow,
coastal lee troughs and windward ridges are most
often associated with this topographically forced flow
regime.

An example of a high-Froude-number, topographi-
cally forced coastal circulation is the development of
mesoscale lee vortices or eddies along the coast.
Catalina eddies along the southern California coast,
Olympic lee lows in western Washington state, and
other coastal lows around theworld arise owing to the
flow over the associated coastal mountain features.
Downslope flow and associated lee troughing are
primarily responsible for the development of these
types of mesoscale eddies. These mesoscale coastal
lows are often responsible for regions of enhanced
winds (Olympic low) or flow reversals as noted above
for stratus surges. Other smaller-scale vortices that
occur in the wakes of islands represent a different
dynamic process and are associated with shear along
the edges of faster flow around a mountainous island
when stronger stratification is present.

The variety of coastal weather is the result of
the complex interaction between cross-coast differ-
ences in surface properties, coastal mountains, and
larger-scale weather patterns. Circulations arise
within a narrow zone along the coast owing to thermal
and moisture gradients, flow blocking, trapping,
orographic waves, and other dynamic processes
due to flow interaction with topography. These

circulations produce unique local flow, cloud,
and precipitation patterns near the coast. The dynamic
processes associated with thermal forcing and
topographic forcing, while fundamental drivers of
many atmospheric circulations, generate the many
unique coastal circulations owing to the complex
geometry, topography, and boundary layer structure
that characterize the coastal environment on small
scales.

Nomenclature

f Coriolis parameter (units: s� 1)
Fr Froude number (non-dimensional)
g Acceleration of gravity (units: m s�2)
hm Height of the topography (units: m)
L Upstream length scale (units: m)
N Brunt Vaisala frequency (units: s� 1)
U Flow speed (units: m s� 1)
y Potential temperature (units: 1C)
y0 Reference potential temperature (units: 1C)

See also

Energy Balance Model, Surface. Land–Sea Breeze.
Mountain Meteorology.
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Introduction

Cold air damming is the process whereby cold air
becomes entrenched along the slopes of a mountain

range. This results in a cold dome adjacent to the
barrier, which can often be identified by a pronounced
‘nose’ in the sea-level pressure pattern and an en-
hancement in the terrain-parallel flow, commonly
referred to as a ‘barrier jet’. The temperatures within
the damming region can be more than 201C cooler
than surrounding areas of equal elevation. Damming
events typically occur during the cool season when an
along-barrier pressure gradient is created by a cold
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anticyclone passing to the north (south) of the barrier
slope in the Northern (Southern) Hemisphere. When
the favorable synoptic conditions persist, the cold air
mass is often observed to remain in a quasi-steady
state.

Long, continuous mountain ranges obstruct
the low-level flow of cold air and can result in
damming. The structure and evolution of cold
air damming is determined by the ambient flow
speed and direction approaching the barrier, terrain
height, low-level density stratification, and latitude.
The terrain-normal wind speeds, stratification, and
terrain height determine whether the low-level flow is
blocked by the barrier. Since damming events typically
last more than several hours, planetary rotation limits
the horizontal extent of the damming and determines
the evolution of the momentum balances near the
terrain.

Cold air damming is common along many moun-
tainous regions around the world, such as the
Appalachians and Rockies in North America. The
development of the cold dome during these events
results in several operational forecast challenges such
as freezing rain, heavy snow, ‘coastal fronts’, and cold
or cool surges. Numerical models need to have
significant horizontal resolution (i.e., o40 km grid
spacing) in order to resolve many cold air damming
events.

Nondimensional Flow Parameters

Cold air damming is dependent on the amount of cold
air blocked by an elongated mountain range. Flow
blocking by a barrier is related to the ratio of the
kinetic energy of the ambient flow to the potential
energy needed to get the air parcel above themountain
top. This ratio is given by the Froude number, Fr,
where

Fr ¼ U=NH ½1�

In eqn [1], U is the speed of the average flow
impinging towards the barrier below crest level, N is
the Brunt–Vaisala frequency, and H is the mountain
height. Fr2 may be interpreted as the ratio of inertial
forces,UðU=HÞ, to buoyancy forces, gðDy=yÞ ¼ N2H.
Large Froude numbers (Fr >1) indicate flow that is
able to surmount the barrier while low Froude
numbers (Fro1) indicate blocked flow. Many cold
air damming episodes are characterized by an Fr less
than 0.5, which is indicative of significant flow
blocking.

The interaction of flow with mountains is not
uniquely determined by the ratio of the kinetic to
potential energy as expressed by Fr. In the rotating

limit (i.e., when Coriolis effects are to be considered),
theoretical studies have shown that the Burger number
(B ¼ HN=Lf , whereL is themountain half-width and
f is the Coriolis parameter) is also an important
parameter to diagnose potential blocking. For situa-
tions of equal stratification and latitude, the Burger
number is proportional to the steepness of the moun-
tain slope (H=L). When Bo1, the flow is quasi-
geostrophic/semi-geostrophic and the flow can pass
over themountain; however, whenB >1, the barrier is
considered to be ‘hydrodynamically steep’ and the
flow is blocked by the barrier.

When Fro1 or B >1, blocked ageostrophic down-
gradient flow is forced by an along-barrier pressure
gradient imposed by the synoptic-scale pressure field.
Using scale analysis on the momentum equations,
when l=L (cross-barrier length scale/along-barrier
length scale) is small and the Rossby number Rl ¼
V=fl (where V is the magnitude of the along-barrier
flow) is approximately equal to or greater than one,
the winds are primarily terrain-parallel within
approximately a Rossby radius of deformation,
lR ¼ NH=f , of the barrier. For example, for the
Appalachian mountains of North America, lR is
typically around 150 km (where H � 1000m,
N � 0:015 s�1, and f � 10�4 s�1). Within a Rossby
radius of the terrain, an antitriptic balance typically
develops in the along-barrier direction between fric-
tion and the pressure gradient. Meanwhile, in the
cross-barrier direction the mass field adjusts under the
influence of rotation (e.g., geostrophic adjustment)
such that the pressure gradient normal to the terrain
balances the Coriolis force associatedwith the terrain-
parallel winds. Since the Rossby radius depends on the
latitude (as defined by f ), cold air damming is able to
extend further away from the barrier closer to the
Equator given identical stratification and mountain
height.

Structure and Evolution

Antecedent Conditions

The interaction of the synoptic-scale flow with an
elongated mountain barrier acts to initiate cold air
damming. Typically, significant damming events are
associated with an upper-level trough and an associ-
ated cold surface anticyclone crossing immediately to
the north (south) of the barrier in the Northern
(Southern) Hemisphere (Figure 1A). (For purposes of
illustration, the evolution of cold air damming in the
Northern Hemisphere is shown). For damming along
the Appalachians, there is often split westerly flow
aloft, with a secondary upper-level trough and an
associated surface cyclone situated to the southwest of
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the barrier. For other barriers, such as the Rocky
Mountains andAndes, significant cross-barrier flowat
crest level to the south of the anticyclone often results
in downslope warming and a lee trough (Figure 1A).
For either situation this high–lowcouplet enhances the
along-barrier pressure gradient.

Initiation and Mature Phases

The along-barrier pressure gradient results in ageo-
strophic nearly terrain-parallel flow adjacent to the
barrier (Figure 1A, B), which advects cold air south-
ward along the barrier slope, while above the moun-
tain there may be neutral or even warm advection.
Because of the significant cold air source to the north,

cold advection is typically much larger than upslope
adiabatic cooling during damming events. The rapid
decrease in cold advection with height results in the
shallow cold air being capped by an isothermal or
inversion layer. Meanwhile, a Coriolis torque acting
on this donwgradient flow results in an upslope
flow component near the barrier slope, which helps
push cold air up the mountain slope. For some cases
the synoptic-scale low-level flow will also have a
geostrophic wind component directed towards the
barrier.

Because of the significant low-level stability and
significant mountain slope, the Froude number ðFrÞ is
typically�1 and Burger number ðBÞ is�1, which
results in blocking of the cold air before it reaches the
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mountain top. This blocking prevents the develop-
ment of geostrophic balance in the along-barrier
direction and awedge of cold air (cold dome) develops
adjacent to the mountain. This cold dome hydrostat-
ically results in a pressure ridge along the barrierwhich
extends a Rossby radius ðlRÞ upstream of the crest
(Figure 1C). In the along-barrier direction the
flow becomes balanced by the pressure gradient
and friction processes. Because of the strong static
stability andweak vertical mixing, most of the friction
is the result of surface drag. In the cross-barrier
direction a geostrophic balance develops between
the cross-barrier pressure gradient and the Coriolis
force.

To demostrate this adjustment process and vertical
structure of the damming process, Figure 2 shows
the horizontal flow and thermal evolution in a
cross-section taken normal to the mountain range.
Prior to the damming event, the isentropes are
nearly horizontal adjacent to the mountain with fairly
weak stability near crest level. For many cases there
may be a preexisting cold stable layer from a previous
damming event or a depression in the isentropes
from adiabatic warming associated with downslope
flow (Figure 2A). At this intial time there is little flow
in the along-barrier direction. Once the along-
barrier pressure gradient becomes more established,
ageostrophic northerlies develop and the Coriolis
force turns the flow in an upslope direction (Figure
2B). The isentropes begin to tilt in response to the
cold air being advected up the barrier. The low-
level cold advection and weak upslope cooling in
concert with neutral or warm advection above results
in a stable layer intensifying near the top of the cold
dome.

During the next few hours the mass field associated
with the blocked flow adjusts to planetary rotation
and extends approximately a Rossby radius upstream
of the barrier (Figure 2C). By this time cold air
damming and the cold dome are firmly established
adjacent to the barrier. The cold dome is deepest near
the bottom of the slope, which hydrostatically corre-
sponds to the axis of the sea-level pressure ridge
(Figure 1B). The damming regime is often character-
ized by neutral or conditionally unstable lapse rates in
the lower layer (cold dome) and is capped by an
inversion. The terrain-parallel flow within this cold
dome is maximized where the greatest tilt of
the isentropes and resulting cross-barrier pressure
gradient exists. The core ofmaximumwinds (labeled J
in Figure 2C), which can frequently exceed 20m s�1,
is often referred to as a barrier jet. The development
of the barrier jet feeds more cold air into the dam-
ming region, therefore helping to sustain the cold
dome.

The cold dome and barrier jet associated with
damming persists as long as there is a cold-air source
feeding the cold dome. Meanwhile, strong warm
advection may occur to the east and over the cold
dome (not shown), which results in air parcels
ascending up and over the cold dome. For some
events, such as Appalachian damming, precipitation
falling from the saturated flow over the cold dome
results in evaporative cooling and further strengthen-
ing or maintenance of the cold dome.

Dissipation Phase

Cold air damming dissipates when the cold surface
anticyclone moves away from the barrier, and the cold
air source is lost (Figure 1D). The pressure falls to the
north decrease the along-barrier pressure gradient and
the flowwithin the cold domeweakens. The cold dome
slowlyweakens through diurnal heating andmixing of
warmer air from aloft. The weakening may be
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expedited if surface pressure falls occur to the east of
the barrier, which results in a wind component and
advection of cold air away from themountain. In some
locations, particularly for large mountain barriers
such as the Rockies and Himalayas, the cold dome
may be eroded by significant cross-barrier and down-
slope flow near crest level (e.g., ‘Chinook’ or ‘Foehn’
winds).

Cold Air Damming Examples around
the World

There have been many documented studies of cold air
damming around the world. The most widely studied
area has been along the eastern side of theAppalachian
Mountains, where the ‘wedge ridge’ sea-level pressure
pattern is sometimes referred to as the ‘Baker’ ridge.
Because the Appalachians are within a few hundred
kilometers of the relatively warmer Atlantic Ocean,
the low-level temperature gradient near the coast can
be enhanced through confluence between the nearly
terrain-parallel flow associatedwith cold air damming
and the warmer more geostrophic flow near the coast.
This frontogenetical process helps in the development
of an enhanced temperature gradient near the coast
called a ‘coastal front’. The low-level temperature
advections associated with these shallow baroclinic
zones result inmixed precipitation,which can be in the
formof freezing rain (ice storms) and sleetwithin areas
of the cold dome.

Cold air damminghas recently been documented for
other largemountain barriers, such as the Rockies and
the Andes. For these extremely long N–S barriers,
relatively cold air can propagate into tropical latitudes
(101N/S). This channeling of cold air is often referred
to as a ‘cold surge’, in which a cold anticyclone is
moving Equatorward adjacent to the mountains. The
primarymechanism for driving the surge southward is
the development of an along-barrier pressure gradient,
cold advection, and the damming evolution described
above. The very high orography associated with the
Rockies, Andes and Himalayas often results in a
horizontal scale of damming that is typically much
larger (4300 km) than Appalachians and other more
narrow coastal barriers. Since the Rocky Mountains
are adjacent to the sloping Great Plains, flow blocking
is also favored along the slope, resulting in a cold dome
that extends 4500 km east of the Rockies. As the
North American surge moves southward along the
mountainous Mexican coast and the large-scale slope
is lost, the scale of the damming collapses to a few
hundred kilometers.

Cold air damming and associated barrier jets can
occur for other mountainous coastal regions, such as

along Vancouver Island British Columbia, the east
slope of the Washington Cascades, and along the
eastern Sierras. During these cases cold air is pooled up
against the barrier from a previous excursion of
cold air from the interior of the continent. The
along-barrier pressure gradient is often enhanced
with the approach of a surface front, resulting in an
enhancement of the terrain-parallel ageostrophic flow
(barrier jet).

For maritime climates, such as coastal California
and Australia, damming occurs when cool marine
air is rotationally blocked against the coastal terrain.
Typically, these events are associated with a transition
from warm dry offshore flow to terrain-blocked
cool marine adjacent to the coast. These coastal
marine surges often result in a narrow stratus tongue
that extends approximately a Rossby radius off the
coast.

For many years cold air damming could not
be resolved by operational numerical weather models,
such as NCEP’s (National Centers for Environmental
Prediction) Nested Gridded Model (NGM) and
Global Spectral (MRF), since horizontal grid spacings
of these models are around 80 km. More recent
operational or research mesoscale models (i.e.,
NCEP’s Eta model at 32 km resolution and the Penn
State-National Center for Atmospheric Research
MM5) are able to realistically forecast different
damming events.

See also

Anticyclones. Aviation Weather Hazards. Boundary
Layers: Complex Terrain. Coastal Meteorology.
Coriolis Force. Dynamic Meteorology: Balanced
Flows. Mountain Meteorology. Static Stability.
Weather Prediction: Regional Prediction Models.
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Introduction

One of the most visible anthropogenic effects on the
atmosphere is the condensation trail, or contrail.
These aircraft-induced clouds have become a common
sight since the 1960s because of increasing jet traffic,
but they were observed as early as 1919. Contrails
were frequently seen andfilmed inWorldWar II during
bombing raids or dogfights. They were briefly studied
in Germany during the war but drew little scientific
interest again until the early 1950s when the use of jet
aircraft by military and commercial aviation acceler-
ated. Interest waned, with only sporadic studies until
the 1990s when aircraft effects and contrails became
the foci of numerous research efforts. Concerns over
their impact on climate and aircraft visibility have
been the primary motivation for the recently intensi-
fied research into contrails. Understanding their
effects requires knowledge of their physical and
optical characteristics and how, when, and where
they form.

Contrail Formation

Contrails are generally composed of ice crystals with
trace amounts of exhaust products such as soot and
sulfates. The contrail ice crystals form because the
relative humidity with respect to liquid water, Uw,
temporarily reaches the saturation point in the plume
mixture of ambient air and hot exhaust gases. Tiny
droplets develop on background aerosols or on aero-
sols formed by exhaust compounds. Because the
ambient temperatures required for formation of con-
trails are generally less than �401C, the small water
droplets instantly freeze and grow via vapor-to-ice
deposition as long as the relative humiditywith respect
to ice, Ui, remains above the saturation point. They
dissipate via sublimation if Ui is below the saturation

point or byprecipitation into unsaturated layers below
the flight level.

Another type of contrail that forms briefly at
warmer temperatures is composed of water droplets
that form behind the tips or the leading edges of
aircraft wings. These are commonly seen emanating
from fighter aircraft in high-speed maneuvers in a
humid atmosphere. In these cases, the ambient air is
compressed at the wing tip and then expands quickly
during adiabatic expansion within the low-pressure
area above the wing tip. The expansion temporarily
cools the air sufficiently that it falls below the dew
point, resulting in condensation. Because ice contrails
are the more common variety, the liquid water
contrails are not considered further here.

The basic concepts for determining the conditions
for contrail formation were developed independently
by E. Schmidt in Germany during 1941 and H.
Appleman in the United States during 1954. The lines
in Figure 1 schematically illustrate the ice contrail
formation process for several scenarios with the
ambient temperatures Ta and water vapor partial
pressures ea indicated by the points at the lower end of
each line. Each line extends to the temperature Te and
water vapor partial pressure ee of the exhaust exiting
the engine. In cases defined by the lines I, II, and IV, the
ambient water vapor pressure is less than the ice
saturation partial pressure ei, while in case III, ea > ei.
In case I, the partial pressure exceeds ei during the
mixing but never reaches water saturation and a
contrail does not develop.A short-lived contrailwould
develop in case II because, at point F, the mixture
temperature TF coincides with the liquid water satu-
ration partial pressure ew. The contrail would form
when the plume temperature reached TF and would
persist until the plume partial pressure decreased to a
value below ei at approximately � 421C.A long-lived,
persistent contrail would form in case III because the
ambient air is supersaturated with respect to ice.
Because saturation conditions cover a greater range of
temperatures after initial formation, the contrail
formed in case IV would probably last longer than
that in case II.
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Although contrail formation has been observed
at temperatures as great as �361C, it is clear from
Figure 1 that contrails form more easily at lower
temperatures. The threshold temperature TT for
contrail formation is defined as the warmest ambient
temperature that will support contrail formation for a
given value of ea and the exhaust parametersTe and ee.
The latter quantities determine the mixing line slope,
G, and are functions of engine type, operating condi-
tions, and fuel, while the value of ea can be determined
from vertical profiles of atmospheric and dew point
temperatures. In case II, the ambient temperature at
point T is the contrail formation threshold tempera-
ture for the given values of ea and themixing line slope
G. That is, the ambient temperature enabling contrail
formation would have to change if either ea or G
varied and, therefore, TT is unique for each pair of ea
andG. The threshold temperatures are greater thanTa

for cases IVand III, and less than Ta for case I. To find
TT for a particular slope and ea, it is necessary to
determine the tangent point TF for a line having slope
Gwith the curve describing the variation of ew withT.
Given a value of G, the threshold temperature can be
computed for TF between � 101C and � 601C using
eqn [1].

TF ¼� 46:46þ 9:43 lnðG� 0:053Þ þ 0:720

�½lnðG� 0:053Þ�2 ½1�

where G is given in PaK�1. The threshold tempera-
ture for any value of Uw or ea can be determined
iteratively with eqn [2].

TT ¼ TF � ewðTFÞ �UwewðTTÞ
G

½2�

The mixing line slope depends on the specific plume
enthalpyhp and thewater vapormixing ratioq,which,
in turn, are related to the emission index EIw, mass
specific combustion heat Q, and the overall engine
efficiency Z. The relation is given specifically as eqn [3],
where cp is the specific heat capacity, p is the pressure,
and e ¼ 0:622. The emission index, the mass of water
produced per mass of combusted fuel, accounts forDq
since ee�ea.

G ¼ De
DT

¼ ðDq=DhpÞpcp
e

¼ EIwpcp
eQð1� ZÞ ½3�

The enthalpy differential is also determined almost
entirely by Q and Z because the ambient heat is
negligible compared to that produced by the engine.
SinceQ andEIw can be determined for a given fuel, the
overall efficiency, the ratio of propulsion energy to
total combustion energy is the primary variable
affecting the mixing line slope. The slope of the line
increases with increasing efficiency. Each type of
engine has a nominal efficiency that is based on
stationary operating conditions. The overall efficien-
cy, however, may vary for a given engine because of
different airframes, maintenance, and operating con-
ditions. Figure 2 illustrates the impact of efficiency for
a given set of ambient conditions. In this instance Z2 is
slightly less than Z1, resulting in a contrail from the
plane with Z1 and no contrail from the one with Z2.
Thus, two planes flying in the same environment can
produce two different results. Similarly, a plane might
produce a contrail when it is cruising but notwhen it is
ascending, depending on the effect of acceleration on
the efficiency.

(
)

Temperature ( C)

Figure 1 Phase diagram with mixing lines for aircraft exhaust in different ambient conditions.
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Contrails typically form at a distance of about
30m or less behind the aircraft engines where the
turbulent mixing sufficiently reduces the temperature.
The latest research results indicate that the initial
condensation of the supercooled droplets takes
place on a wide variety of particles, including exhaust
products such as sulfate aerosols, soot, and metallic
particles as well as ambient mineral aerosols. When
the contrails are about 1minute old, the mean particle
radius is around 2mm. A wide variety of particle
shapes have been observed in young contrails, includ-
ing hexagonal columns and plates, triangles, irregular
forms, and spheroids. Young contrails often appear
saw-toothed or appear to have a cellular structure
that results from the vortices formed by the aircraft.
This structure provides irregularities for formation
of local convective cells or radiative cooling
gradients that aid mixing of the contrail with the
ambient air.

Contrail Growth and Structure

Once formed, a contrail develops or dissipates in the
same manner as a naturally generated cirrus cloud.
Growth and spreading of contrails depend on the
thickness of the supersaturated layer, the degree of ice
supersaturation, and the wind speed and shear. When
contrails persist, the particles typically grow to
30–1000 mm, sizes usually associated with natural
cirrus clouds. Ice particle growth is rapid in highly
supersaturated layers and results in fall streaks that
spread horizontally in lower layers according to the
wind shear. Figure 3A shows a cross-section view of a
hypothetical persistent contrail growing and spread-
ing in the absence of vertical wind shear. It spreads
mostly by turbulent mixing induced by the aircraft
vortex or by radiative processes. When wind shear is
present (Figure 3B), it will also spread horizontally by
precipitation into the lower layers. If the crystals fall

C)

Figure 2 Hypothetical mixing lines for different propulsion efficiencies.

Wind vector

ea > ei

ea < e i

ea > e i

ea < e i

t1 t2 t3 t5t4(A)

(B)

Figure 3 Schematic cross-sectional depiction of contrail spreading in conditions with and without wind shear.
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into supersaturated air below, they will continue to
grow or, possibly, split into additional crystals. The
linear shape of the contrail will be distorted and the
contrailwill soon look like a natural cirrus cloud to the
observer. Well-aged contrails are often indistinguish-
able from natural cirrus clouds regardless of shear
conditions.

Most studies indicate that the number of crystals in
a contrail remains constant after formation in super-
saturated conditions. Thus, if the contrail precipitates,
the contrail cloud at flight levelmight gradually fade as
its particles are depleted. If ea is just above ice
supersaturation, then the crystal growth will be
limited and little precipitation will occur. In this
case, the contrail may spread slowly by diffusion,
maintaining its linear shape for a relatively long time.
Because the crystals growbydeposition, the amount of
icewater in the contrail increases until the particles fall
out or equilibrium is reached between the ice water
content and ei. Such equilibrium conditions generally
do not last very long and the contrail eventually
dissipates. Although most persistent contrails have
visible optical depths between 0.1 and 0.4, the values
are highly variable, ranging between 0.03 and 1. The
lifetimes of contrails are also extremely variable.
Short-lived contrails may only last a few seconds,
while some contrail-generated cirrus clouds have been
tracked for more than 17 h. The shape, size, optical
properties, and life cycle of contrails are highly
dependent on their environment, so that a multitude
of contrail morphologies can occur. Contrail-cirrus
clouds are generally like natural cirrus clouds within a
few hours after their formation.

Because water vapor and temperature are not
homogeneously distributed, even at relatively small
scales (B100m), contrails may form or persist in an
apparently erratic fashion, as shown in Figure 4. For
example, an on–off pattern can occur as an aircraft
flies through amoist layer disturbed by a vertical wave
or even weak convective plumes. The contrails in
Figure 4A form in the ascending parts of the wave or
plume where the temperature of the rising air falls
below the threshold temperature, while in the de-
scending portions the air warms and dries, resulting in
no contrail formation. Similar patterns can result from
a plane ascending or descending through several thin
layers that are near saturation but separated by dry
layers as in Figure 4B. The persistence of a contrail or
parts of it depends on the value of ea relative to ei along
the contrail line. Thus, parts of a contrailmaydissipate
rapidlywhile other portionsmay linger and even grow.
The local turbulence induced by the airframe, the
atmospheric stability, and the wind vector also affect
the morphology of the contrail.

Photographs of the most familiar type, the short-
lived new contrail, are shown in Figure 5. In both
cases, the pair of trails forming behind the aircraft
gradually faded. In those situations, ea is only slightly
less than ei. When ea exceeds ei, less familiar shapes
can occur. Figure 6 shows examples of contrails at
different stages of growth or persistence at the same
time in different parts of the sky. To the north of the
observer (Figure 6A), contrails remain very thin and
wispy at one end and dense and distorted at the other.
To the south-east (Figure 6B), a succession of slowly
spreading contrails appears off to the horizon.

ea

T5

T4

T3

T2

T1

ea2

ea1

T5

T4

T3

T2

T1

e4 < e i

T1 > T2 > T3 > T4 ea2 < ea1

e3 > e i

e2 < e i

e1 > e i

(A)

(B)

Figure 4 Schematic depiction of contrails forming in an on–off pattern.
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Although these contrails appear to have little vertical
development, they persisted for at least several hours
before advecting out of view.To the south-west (Figure
6C), many of the contrails are older and appear more
like natural cirrus clouds. Avery young thin contrail is
evident in the upper left quadrant.

Condensation trails often form ahead of advancing
fronts in the poleward flow of an upper level trough
where conditions are not quite saturated enough for
natural cirrus development. In these instances they
can occur at multiple levels in the atmosphere because
the formation conditions often cover a large depth
of the atmosphere and air traffic uses a wide range of
altitudes. In Figure 7, contrails at the higher altitudes
spread more than those below owing either to age,
the amount of wind shear, or the angle of the contrail
to the ambientwind.Note the complex linear shadows
cast by the thin contrail on the left. These crossing
contrails are common in areas where air traffic lanes
intersect. The contrails seen in Figure 7 are part
of a larger contrail cluster that is easily observed in

satellite imagery (Figure 8) that was taken about
an hour before the photograph in Figure 7. Subsequent
imagery shows that these contrails dissipated
downstream to the east while additional contrails
formed within or beneath the advancing thin cirrus
clouds.

Contrails can form within cirrus clouds, where they
are manifest by reduced particle sizes or local thick-
ening of the cloud. Aircraft exhaust can also affect
supercooled liquid water clouds. When a plane flies
through this type of cloud, it introduces ice nuclei that
cause freezing of the cloud droplets. The thermody-
namic equilibrium shifts from a vapor-to-liquid to
vapor-to-ice process, causing a rapid depletion of the
available water vapor onto the frozen droplets. The
newly formed ice crystals quickly grow large enough
to fall out of the cloud, resulting in a fall streak below
the cloud and a gapwithin the cloud. This gap, called a
distrail, is linear when the plane flies for an extended
distance within the cloud or oval shaped when the
aircraft is briefly inside the cloud as it ascends or

Figure 5 Short-lived contrails.

Figure 6 Persistent contrails in various stages of growth and decay.
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descends. Depending on the conditions, especially the
original cloud thickness, a distrail will either persist or
be filled in with a new water droplet cloud. Distrails
are most frequently observed in altostratus or
altocumulus clouds.

Remote Sensing of Contrails

Although contrails are most often identified by
their linear shapes both from ground observa-
tions (Figure 7) and satellite imagery (Figure 8), these

Figure 7 Persistent contrails observed over eastern Virginia, USA during 26 January 2001. Photo courtesy of L. Nguyen, NASA LaRC.

Figure 8 Infrared 1-km resolution image of contrails over Virginia and Maryland, USA from the NOAA-16 Advanced Very High

Resolution Radiometer at 1832 UTC, 26 January 2001.
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man-made clouds can take on other geometric shapes
according to the particular flight patterns and winds.
For instance, spiral shapes result from a plane
in a circular holding pattern within an advecting
supersaturated layer, while a figure-of-eight can
form in similar layer if the plane flies a linear holding
pattern. The linear structure is most common
and forms the basis for identifying contrails. Because
detectionof contrails is important for various scientific
applications, methods have been developed for
differentiating contrails from other linear clouds in
satellite imagery, the only plausible data source
for studying the global effects of contrails. Automated
techniques for contrail detection typically create
an image of a parameter most likely to be associated
with a contrail, then apply a variety of image
processing methods to find linear structures within
that image.

Such methods, which are still being researched,
usually take advantage of the relatively distinct infra-
red optical properties of younger contrails to compute
a parameter that could have a distinctive contrail
signal for image processing. Because of their relatively
small size (effective diameters between 5 and 50 mm),
the ice crystals in contrails have extinction efficiencies
in the thermal infrared window region (8–14mm) that
vary much more with wavelength than the extinction
efficiencies of larger particles typically found in most
cirrus clouds (effective diameters greater than 30 mm).
Thus, young contrails transmit more radiation at
certain wavelengths than a cirrus cloud of equivalent
optical depth, resulting in a signal that often reveals a
contrail.

To better understand this effect, consider that
the satellite measures a spectral radiance Ll that is
recorded as an equivalent blackbody temperature
Tl using the Planck function Bl. For a cloud or

contrail, the observed radiance can bemodeled simply
as in eqn [4].

Ll ¼ elLc þ ð1� elÞLb ½4�

where Lc is the radiance emitted at the cloud temper-
ature Tc;Lb is the upwelling radiance at the cloud
base with an equivalent brightness temperature Tb,
and el is the cloud emissivity. In general, Lb > Lc, so
that an increase in cloud transmissivity, ð1� elÞ,
results in more transmission of Lb and a larger value
of Ll. Thus, Tl will be greater at some wavelengths
than at others as long as the cloud is optically thin (e
less than 0.9 or so). This effect can be seen in Figure 9,
which shows the 11 mm image and an image of
brightness temperature difference between the 11 mm
and 12 mm channels on the NOAA-12 Advanced
Very High Resolution Radiometer. For small ice
crystals, the extinction efficiency and, therefore,
the optical depth at 12 mm can be as much as twice
that at 11 mm. Thus, for small optical depths (o1.0),
the transmission at 11 mm is greater and the contrails
appear ‘warmer’ than at 12mm. Although some of
the contrails are readily apparent in Figure 9A,
many are obscured by other cirrus clouds. The
temperature-difference image in Figure 9B reveals
many contrails that were not evident in the standard
infrared image and highlights others more clearly.
Because the actual temperature difference contrast
depends on the effective particle sizes and optical
depths of the surrounding clouds, and those quantities
are naturally variable, the contrails are not always
detected. Furthermore, other features such as cirrus
streaks, coastlines, or cloud edgesmayproduce similar
signals.

When Tb is not very different from Tc, such
techniques do not readily reveal the contrails because

Figure 9 1-km resolution infrared and infrared temperature difference images of contrails over Virginia and North Carolina, USA from

the NOAA-12 Advanced Very High Resolution Radiometer at 2312 UTC, 29 October 1996.
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the signal is so small. Therefore, contrails embedded in
relatively thick cirrus clouds cannot be seen in most
temperature-difference imagery. However, during the
daytime, contrails can be detected using temperature
differences between a channel near 11 mm and one in
the ‘solar-infrared’ wavelength range (3.5–4.5 mm). At
those wavelengths, the satellite imagers measure an
emission component and a solar-reflected component.
The smaller contrail ice crystals reflect more sunlight
than the surrounding cirrus crystals, resulting in
a relatively large brightness temperature. For example,

the 11 mm image in Figure 10 shows no sign
of contrails, while the 3.7 mm image and the 11 mm
and 3.7 mm temperature-difference image reveal a
number of linear contrails. The 3.7 mm image shows
dark or ‘warm’ lines, while the temperature-difference
image reveals white contrails. Additional enhance-
ment of the photograph would reveal more contrails
in the temperature-difference image. The ability
to detect contrails in a thick cirrus cloud depends
on many factors, including the contrail age and its
relative depth in the cloud aswell as the particle sizes in

Figure10 Contrails imbedded in thick cirrus over Kansas,USA fromNOAA-14AdvancedVeryHighResolution Radiometer data taken

at 2122 UTC, 23 March 2000.
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the cirrus cloud, and the viewing and illumination
conditions.

Contrails can also be detected in high-resolution
visible and near-infrared imagery in certain condi-
tions. For example, when not embedded in cirrus or
over lower clouds, a young contrail is often reflective
enough to be seen as a bright line in a 1-km resolution
visible channel image. Sometimes, the contrail will
cast a shadow on lower clouds and can be detected
from its shadow. Near-infrared channels on or near
water vapor absorption lines, like one near 1.38 mm,
do not receive any significant reflectance from lower
clouds, so that even very thin high clouds like contrails
can be detected. Near-infrared methods are relatively
new and have not been developed as much as the
infrared techniques.

Determination of contrail properties such as
temperature, height, optical depth, and effective
particle size is accomplished with the same methods
applied to the remote sensing of cloud properties.
Such techniques typically require multispectral
imagers that can be used to simultaneously solve
for e; Tc, and the particle size. When an insufficient
multispectral set is available, one or more of
the parameters must be assumed in order to obtain
a solution for the other parameters. These methods
generally provide results consistent with in situ
measurements. Both infrared and solar methods
are also applicable to high-resolution imagery created
by instruments on research aircraft. Active sensors
such as lidar have been used to study the fine-
scale structures of contrails and their micro-
physical properties. They are often used to validate
the retrievals of contrails from passive satellite
imagers.

Contrail–Cirrus Coverage

An increase in cirrus cloudiness due to contrail
formation has been hypothesized since the beginning
of the commercial jet age. The possibility of enhanced
cirrus coverage resides in the frequency and extent
of areas that are ice-supersaturated. In situ measure-
ments and numerical model analyses have shown
that ea exceeds ei 10–20% of the time in air at flight
altitudes (8–12 km). Thus, the potential exists
for substantial increases in cirrus coverage over
areas crossed by air traffic. Because the stratosphere
is generally very dry, aircraft flying above the tropo-
pause generate few contrails, especially persistent
ones.

The conditions necessary for supporting contrail
formation at flight altitudes change with the seasons.
Over mid-latitude areas, contrail conditions are

favorable most often during winter and early spring
when the troposphere is coldest. During summer, the
temperatures at flight levels are often too high to
enable contrail initiation. Over areas poleward of
about 501 latitude, the tropopause is often belowflight
level during winter, so that a significant number of
planes fly in the stratosphere, resulting in contrail
suppression. Conditions are more favorable for con-
trails during the summer and autumn in the subarctic
regions. In the tropics, the altitude for contrails is
generally above 11 km year round, so the potential for
contrail formation by many commercial planes is
reduced. However, persistent contrails are likely to
occur more frequently in the tropics than at other
latitudes at altitudes above 11 km because of the
greater abundance of water vapor.

Surface observations over the United States during
the 1990s indicated that persistent contrails occur,
on average, approximately 9% of the time, but
the frequency varies from less than 5% in low
traffic areas to 25% in the main air corridors.
Approximately 80% of these persistent contrails
are embedded in, extending from, or near natural
cirrus clouds. Contrail coverage has been derived
from satellite imagery only for those contrails that are
linear and large enough to observe in 1-km resolution
infrared data. Initial satellite-based estimates of
mean contrail amounts over Europe, the North
Atlantic, and the conterminous United States are
0.8%, 0.5%, and 1.8%, respectively, and roughly
0.1% globally for the early 1990s. Similar values have
been derived from theoretical calculations using real-
istic air traffic patterns, numerical analyses of mete-
orological fields, and specified engine efficiencies.
Later studies suggest that the coverage may not be
as large as the initial satellite estimates owing to
possible false identification of natural clouds as
contrails.

Detection and assessment of contrail coverage
has been confined to contrails that are identifiable by
their linear structure and small particle sizes. Because
these identifying features are often lost as the contrails
spread, the linear contrail coverage estimates repre-
sent the minimum amount of the sky that is covered
by contrails. Geostationary satellite data are used
to track contrails as they grow and change in shape
and composition. Studies based on geostationary
data indicate that the actual cirrus coverage generated
by persistent contrails might be as large as a factor
of 4 times the coverage estimated for younger,
linear contrails.However, the actual factor is probably
somewhere between 1 and 3. Determination of
contrail coverage and the resulting changes in
cirrus cloud amounts remains a topic of ongoing
research.
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Climate Effects of Contrails

Contrails, like other cirrus clouds, can affect both the
hydrological and radiation budgets. Many of the
possible contrail effects have only been the subject of
educated speculation, although some have been esti-
mated to some degree. Some of these potential effects
are mentioned here.

By freezing out water vapor prior to the natural
formation of cirrus clouds, contrails may alter
the overall distribution of cirrus. General circulation
model studies have shown that, if additional cirrus
cloud is specified in the air corridors, cirrus coverage
decreases in other areas. Contrail formation
may decrease precipitation in some clouds by reducing
the average particle size in the affected clouds.
Conversely, the precipitation induced by persistent
contrails in otherwise clear air (e.g., Figure 3A) may
result in moistening of the middle layers of the
troposphere and drying of the atmosphere at flight
altitudes.

Contrails reflect some solar or short-wave radiation
that would otherwise warm the surface, and absorb
outgoing infrared radiation that cools the surface–
atmosphere system. The overall radiative impact or
forcing depends on the contrast between the contrail
and its background, the lifetime and optical properties
of the contrail, and the solar zenith angle when it is
present. Depending on the solar zenith angle and the
contrast between the contrail and surface tempera-
tures, the net forcing can result in cooling or warming

of the system. For instance, if the contrail forms over a
dark background during midday, the amount of
reflected sunlight may exceed the amount of infrared
radiation blocked and reradiated by the cloud. Con-
versely, if it develops over a bright, hot surface (i.e.,
desert) during the day, a contrail may reflect little
additional radiation, but trap a significant amount
because it is much colder than the surface. Its overall
impact would be substantially different than that over
the dark surface. At night, contrails warm the atmos-
phere. However, even during the day when solar and
infrared forcing can almost cancel each other, the
contrailwill still impact the radiation field because loss
ofmost of the blocked sunlight results in cooling of the
surface, while much of the infrared or longwave
radiation ‘trapped’ by the contrail warms the upper
troposphere and has little immediate impact on the
surface.

These radiative forcing effects, estimated with
several different models and assumptions, may result
in a minor amount of global warming when averaged
over a long period or in some slight cooling on an
instantaneous basis. For example, Figure 11 shows the
distribution of net contrail radiative forcing assuming
random contrail/cloud overlap, an average contrail
particle effective diameter of 24mm, and an optical
depth of 0.1. This estimate, based on air traffic
analyses for 1992, shows the areas of strongest
warming over the north-eastern United States and
Europe. Themaximum forcing of 0.35Wm�2 is found
over Europe, while the overall global net forcing for

 180°

90° N

180°0°

0°

Longitude

Wm−2

La
tit

ud
e

0.00 0.12 0.24 0.36

90° S

Figure 11 Estimate of radiative forcing from linear contrails with a mean optical depth of 0.1 at 200hPa for 1992.
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this case is 0.0083Wm�2.Other scenarios yield values
between 0.0004 and 0.0203Wm�2 for a range of
contrail coverage and altitudes with mean optical
depths varying between 0.1 and 0.5 (Figure 12).
Airplane fuel consumption is expected to increase
between 1992 and 2050 by a factor ranging from 1.8
to 14. The best-case scenario yields a factor of 4.3
for traffic above 500 hPa with a concomitant rise in
efficiency to Z ¼ 0:5. The greatest increases in
air traffic are expected over eastern Europe and Asia.
The combination of engine efficiency and air traffic
increase yields an estimate of global contrail coverage
of 0.5% and a 0.0488Wm�2 global net radia-
tive forcing, with a maximum regional value of
1.46Wm�2 over Europe. Other scenarios using
different contrail radiative properties and fuel use
projections produce both smaller and larger estimates
of contrail cover and radiative forcing for the future.
Current uncertainties in contrail coverage, optical
depth, lifetimes, and overlap with lower clouds pre-
clude a definitive assessment of the overall impact of
contrails. Despite these uncertainties, it is clear that
whatever effect they currently have on climate will
increase in the future.

The Future

Contrails are difficult to study because of their
high altitude, large advection rates, and frequent

association with natural cirrus. Thus, current
estimates of their impact are highly uncertain. Never-
theless, their potential for affecting global climate
and providing military intelligence has spurred
more interest and focused research into their forma-
tion, dissipation, microphysical and morphological
characteristics, and methods for suppressing them.
Removal of fuel sulfur or use of liquid hydrogen
fuels have been suggested as means for diminishing
the number of cloud nuclei and, hence, the number of
contrails. Tests and theoretical studies have shown
that such measures would probably not reduce
the frequency of contrails. Hydrogen fuels would
cause larger increases in local relative humidity in
the exhaust plume, causing higher supersatura-
tions than would occur with hydrocarbon fuels.
Thus, liquid hydrogen would probably cause
more contrails to form, but possibly with greater
particle sizes and fallout rates, resulting in shorter
lifetimes and smaller radiative impacts. It is possible
that a propulsion source that does not produce
water vapor will be necessary to effectively eliminate
the generation of contrails from high-flying air-
craft.

Other methods for minimizing contrail formation
would involve changes in flight altitude or
path. Contrail coverage could be reduced dramatically
by flying in the stratosphere, where formation condi-
tions are rare. However, other effects from the exhaust
and increased fuel usage may limit the amount
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Figure 12 Estimate of radiative forcing from linear contrails with a mean optical depth of 0.1 at 200hPa for 2050 air traffic scenario.
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of stratospheric traffic. Flying at lower altitudeswould
diminish the number of contrails in tropical areas,
but would cause additional coverage in the
mid-latitudes and polar regions. Conversely, higher
mean flight altitudes would decrease contrails over
the poles and temperate zones while causing
more contrails in the equatorial areas. Ideally, numer-
ical weather predictions and contrail formation prog-
nostication programs could be used together with
flight planners to map out for each destination
a sequence of flight altitudes that best avoids contrail
formation conditions. Such sophisticated planning
would require more accurate temperature and humid-
ity data and contrail prediction schemes than
are currently available as well as a more complex
air traffic control network. Future research may
provide the tools to minimize the climatic effects of
contrails, but it is likely that these artificial clouds will
be a common feature in the sky for many years to
come.

Nomenclature

Bl Planck function
cp Specific heat capacity (J kg�1 K� 1)
ea Ambient water vapor partial pressure (Pa)
ee Exhaust water vapor partial pressure (Pa)
ei Ice saturation partial pressure (Pa)
ew Liquid water saturation partial pressure (Pa)
EIw Water vapor emission index (kg kg� 1)
G Exhaust–ambient air mixing line slope

(PaK� 1)
hp Specific plume enthalpy (J kg� 1)
p Pressure (hPa)
q Water vapor mixing ratio (g kg� 1)
Lb Upwelling radiance at cloud base

(Wm� 2 sr�1)
Lc Radiance emitted by cloud (Wm� 2 sr� 1)
Ll Spectral radiance (Wm�2 sr� 1)
Q Mass specific combustion heat (MJ kg� 1)
t Time (s)
T Temperature (1C or K)
Ta Ambient temperature (1C or K)
Tb Equivalent blackbody temperature of upwell-

ing radiance at cloud base (K)
Tc Cloud temperature (K)
Te Exhaust temperature (1C or K)

TF Temperature corresponding to tangent point
of mixing line with ew (1C or K)

TT Contrail formation threshold temperature
(1C or K)

Tl Spectral equivalent blackbody temperature
(K)

Ui Relative humidity with respect to ice
Uw Relative humiditywith respect to liquidwater
De Water vapor partial pressure difference (Pa)
Dq Mixing ratio difference (g kg� 1)
DT Exhaust–ambient air temperature difference

(1C or K)
e Ratio of dry air and water vapor gas con-

stants; emissivity
el Spectral cloud emissivity
Z Overall aircraft propulsion efficiency
l Wavelength

See also

Aerosols: Role in Cloud Physics. Aircraft Emissions.
Cloud Microphysics. Clouds: Classification. Convec-
tion: Laboratory Models of. Global Change: Human
Impact of Climate Change.Optics, Atmospheric:Optical
Phenomena; Optical Remote Sensing Instruments. Ra-
diative Transfer: Cloud-radiative Processes. Satellite
Remote Sensing:Cloud Properties. Thermodynamics:
Saturated Adiabatic Processes.
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Introduction

Free convection is fluid motion due to buoyancy
forces. Free convection, also referred to simply as
convection, is driven by the static instability that
results when relatively dense fluid lies above relatively
light fluid. In the ocean, greater density is associated
with colder or saltier water, and it is possible to have
thermal convection due to the vertical temperature
gradient, haline convection due to the vertical salinity
gradient, or thermohaline convection due to the
combination.

Since sea water is about 1000 times denser than air,
the air–sea interface from the water side can be
considered a free surface. So-called thermocapillary
convection can develop near this surface owing to the
dependence of the surface tension coefficient on
temperature. There are experimental indications that
in the upper ocean layermore than 2 cmdeep, buoyant
convection dominates. Surfactants, however, may
affect in the surface renewal process. This article will
mainly consider convection without these capillary
effects.

Over most of the ocean, the near-surface region
is considered to be a mixed layer in which turbulent
mixing is stronger than at greater depth. The strong
mixing causes the mixed layer to have very small
vertical variations in density, temperature, and
other properties compared to the pycnocline region
below. Convection is one of the key processes driving
mixed layer turbulence, though mechanical stirring
driven by wind stress and other processes is
also important. Therefore, understanding convection
is crucial to understanding the mixed layer as
well as property fluxes between the ocean and the
atmosphere.

Thermal convection is associated with the cooling
of the ocean surface due to sensible ðQTÞ, latent ðQLÞ,
and effective long-wave radiation ðQEÞheat fluxes.QT

may have either sign; its magnitude, however, is much
less than that of QE or QL (except perhaps in some
extreme situations). The top of the water column
becomes colder and denser than the water below, and
convection begins. In this way, cooling is associated
with the homogenization of the water column and the
deepening of the mixed layer. Warming due to solar
radiation occurs in the surface layer of the ocean and
is associated with re-stratification and reductions in
the depth of the mixed layer. The most prominent
examples of this mixing/re-stratification process are
the diurnal cycle (nighttime cooling and daytime
warming) and the seasonal cycle (winter cooling
and summer warming).

There are also important geographical variations in
convection, with net cooling of relatively warm water
occurring more at higher latitudes and a net warming
of water occurring closer to the Equator. For this
reason, mixed layer depth generally increases toward
the poles, though at very high latitudes ice-melt can
lower the surface salinity enough to inhibit convec-
tion. Over most of the ocean, annual average mixed
layer depths are in the range 30–100m, though very
dramatic convection in such places as the Labrador
Sea, Greenland Sea, and western Mediterranean Sea
can deepen the mixed layer to thousands of meters.
This article discusses convection reaching no deeper
than a few hundred meters. Dynamically, the convec-
tion discussed here differs from deep convection in
being more strongly affected by surface wind stress
and much less affected by the rotation of the Earth.

Convection directly affects several aspects of the
near-surface ocean. Most obviously, the velocity
patterns of the turbulent flow are influenced by the
presence of convection, as is the velocity scale. The
convective velocity field then controls the vertical
transport of heat (or, more correctly, internal energy),
salinity, momentum, dissolved gases, and other prop-
erties, and the vertical gradients of these properties
within the mixed layer. Convection helps to determine
property exchanges between the atmosphere and
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ocean and the upper ocean and the deep ocean. The
importance of convection for heat and gas exchange
has implications for climate studies, while convective
influence on the biologically productive euphotic zone
has biological implications as well.

Phenomenology

The classical problem of free convection is to deter-
mine the motion in a layer of fluid in which the top
surface is kept colder than the bottom surface. This is
an idealization of such geophysical examples as an
ocean being cooled from above or the atmosphere
being heated from below. The classical problem
ignores such complications as wind stress on
the surface, waves, topographic irregularities, and
the presence of a stably stratified region below the
convection region. The study of convection started in
the early twentieth century with the experiments of
Benard and the theoretical analysis of Rayleigh. One
might expect that heavier fluid would necessarily
exchange places with lighter fluid below owing to
buoyancy forces. This happens bymeans of convective
cells or localized plumes of sinking dense fluid and
rising light fluid. However, such cells or plumes are
retarded by viscous forces and are also dissipated by
thermal diffusion as they fall or sink into an environ-
ment with a different density. When the buoyancy
force is not strong enough to overcome the inhibitory
effects, the heavy-over-light configuration is stable and
no convection forms. The relative strengths of these
conflicting forces is measured by the Rayleigh number,
a nondimensional number given by eqn [1].

Ra ¼ gaDTh3

kTn
½1�

In eqn [1], g is the acceleration of gravity, a is
the thermal expansion coefficient of sea water
(a ¼ 2:6�10�4 �C�1 at T ¼ 20�C and S ¼ 35 psu),
DT is the temperature difference between the top and
bottom surfaces, h is the convective layer thick-
ness, and n and kT are the molecular coefficients of
viscosity and thermal diffusivity, respectively
(n ¼ 1:1�10�6 m2 s�1 and kT ¼ 1:3�10�7 m2 s�1 at
T ¼ 20�C and S ¼ 35psu). The term aDT ¼ Dr=r
represents the fractional density difference between
top and bottom.

Convection only occurs if Ra is greater than a
critical value, Racr, which depends somewhat on
geometrical and other details of the fluid. For the
classical problem of water bounded above and below
by solid plates, Racr ¼ 657. For sea water under
typical conditions, even a temperature difference of

0:1�C makes Ra > Racr as long as h is greater than a
centimeter.

For Ra > Racr, the Rayleigh number still serves a
useful purpose as a guide to the nature of the
convective activity (although the problem also de-
pends on the Prandtl number, Pr ¼ n=kT). For a fixed
Pr and for Ra only slightly larger than Racr, motion
occurs in regular, steady cells. As Ra is increased, the
motion becomes time-dependent. Regular oscillations
occur, and these increase in number and frequency for
higherRa. At sufficiently highRa, the flow is turbulent
and intermittent. The value of Ra in the ocean is very
large (typically greater than 1014 for a temperature
difference of 0:1�Cover 10m), so convection is usually
turbulent.

Turbulent convection is usually characterized by the
formation of descending parcels of cold water. In
laboratory experiments, it has been found that water
from the cooled surface layer collects along lines,
producing thickened regions that becomeunstable and
plunge in vertical sheets (Figure 1). In analogy to the
atmospheric convection, wewill here call these parcels
thermals, although, in contrast to the atmosphere, in
the ocean they are colder than the surrounding fluid.
In 1966, Howard formulated a phenomenological
theory that represented turbulent convection as the
following cyclic process. The thermal boundary layer
forms by diffusion, grows until it is thick enough to
start convecting, and is destroyed by convection,
which in turn dies down once the boundary layer is

Front view

Top view

Figure 1 Orthogonal views of convective streamers in the warm

water that is cooling from the surface. The constantly changing

patterns appear as intertwining streamers in the side view.

(Reproduced from Spangenberg WG and Rowland WR (1961)

Convective circulation in water induced by evaporative cooling.

Physics of Fluids 4: 743–750.)
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destroyed. Then the cycle begins again. This phen-
omenological theory has implications for the devel-
opment of parameterizations for the air–sea heat
and gas exchange under low wind speed conditions
(see later).

The descending parcels of water have a mushroom-
like appearance. In the process of descending to deeper
layers, the descending parcels developing as a result of
the local convective instability of the thermal molec-
ular sublayer join and form larger mushroomlike
structures. The latter descend faster and eventually
form bigger structures. This cascade process produces
a hierarchy of convective scales, which is illustrated in
Figure 2 on the example of the haline convection.

Penetrative Convection

The unstable stratification of themixed layer is usually
bounded below by a stratified pycnocline. One can
imagine the mixed layer growing in depth, with
thermals confined to the statically unstable depth
range. Suppose the density at the top of the pycnocline
is r1 (Figure 3A). As surface buoyancy loss and
convection increase the average density of the mixed

layer, the mixed layer density increases to r2, which is
slightly denser than r1 (Figure 3B). The static insta-
bility now allows convection to act on the pycnocline
down to density r2 (Figure 3C), so that themixed layer
grows at the expense of the pycnocline. This is known
as nonpenetrative convection.

In reality, the largest thermals acquire enough
kinetic energy, as they fall through the mixed layer,
that they can overshoot the base of the mixed layer,
working against gravity. This is penetrative convec-
tion. The penetrative convection produces a counter-
gradient flux that is not properly accounted for if we
model convective mixing as merely a very strong
vertical diffusion. Unlike the smooth density profile at
the base of a mixed layer that is growing by nonpen-
etrative convection (Figure 3C), penetrative convec-
tion is characterized by a density jump at the base of
the mixed layer (Figure 3D).

The cooling of the ocean from its surface is
compensated by the absorption of solar radiation.
The latter is a volume source for the upper meters of
the ocean. The thermals from the ocean surface, as
they descend deeper into themixed layer, produce heat
flux that is compensated by the volume absorption of
solar radiation. This is another type of the penetrative
convection in the upper ocean, which will be consid-
ered in more detail in a later section.

Relative Contributions of Convection
and Shear Stress to Turbulence

For the limiting case in which the only motion in the
mixed layer is due to convection, there are simple
estimates of average speed and temperature fluctua-
tions associated with the plumes. When the Rayleigh
number is high enough that the flow is fully turbulent,
the plume characteristics should be largely independ-
ent of the viscosity and diffusivity throughout most of
the mixed layer. In that case, ignoring the Earth’s
rotation and influences from the pycnocline, the
governing parameters of the system are simply the
mixed layer depth h and the surface buoyancy flux B0.
B0 is based on the surface heat fluxes according to
eqn [2].

B0 ¼ �gr�1½ac�1
p ðQS þQE þQLÞ þ bQLL

�1S� ½2�

In eqn [2], r is the water density, cp is the specific heat
capacity of water ð� 4�103 J kg�1 K�1Þ,L is the latent
heat released by evaporation ð� 2:5�106 J kg�1Þ, S is
the surface salinity, and b is the coefficient of salinity
expansion ðb ¼ 7:4�10�4 psu�1 at T ¼ 20�C and
S ¼ 35psu). The first term in the square bracket in
the right-hand side of eqn [2] relates to the buoyancy
flux due to surface cooling; the second term relates to

Figure 2 Shadowgraph picture of the development of secondary

haline convection. (Reproduced from Foster TD (1975). The

hierarchy of convection. In: Processus de Formation Des Eaux

Oceaniques Profondes, pp. 235–241. Colloques Internationaux du

C.N.R.S. No. 215.)
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the buoyancy flux due to the surface salinity increase
because of evaporation.

Given all the above restrictions, the velocity scalewn

is then given by the Priestly formula (eqn [3]).

wn ¼ ðB0 hÞ1=3 ½3�

This is the only combination of B0 and h that will give
the proper units for velocity. Similarly, if we define the
buoyancy to be b ¼ gDr=r, the buoyancy scale bn is
given by eqn [4].

bn ¼ B2

h

� �1=3

½4�

Laboratory experiments have shown that these scales
are in good agreement with actual fluctuations during
convection. For typical oceanic parameters (for in-
stance, heat flux ofQ0 ¼ 100Wm�2 and h ¼ 100m),
wn is a few centimeters per second and bn is equivalent
to temperature fluctuations of about 0:01�C.

Twomajor sources of turbulent kinetic energy in the
upper ocean are the wind stress and buoyant convec-
tion. Upper ocean convection is usually accompanied
by near-surface currents induced by wind and wind
waves. The near-surface shear is then an additional
source of near-surface turbulent mixing. In the 1950s,
Oboukhov proposed the buoyancy length scale
LO ¼ ku3

n
=B0, where k is the von Karman constant
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Figure 3 Schematic diagram of nonpenetrative and penetrating convection.
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(k ¼ 0:4),B0 is the surface buoyancy flux (e.g., defined
by eqn [2]), and un is the boundary layer velocity scale
(friction velocity) defined as un ¼ ðt=rÞ1=2, where t
represents the bottom stress in the atmospheric case
and the wind stress in the oceanic case (r is the density
of air or water, respectively). Later, Monin and
Oboukhov suggested the stability parameter, z ¼
z=LO (where z is the height in the atmosphere or the
depth in the ocean), to characterize the relative
importance of shear and buoyant convection in the
planetary boundary layer. Experimental studies con-
ducted in the atmospheric boundary layer show that at
zo� 0:1 the flow is primarily driven by buoyant
convection. Owing to the analogy between the atmos-
pheric and oceanic turbulent boundary layers, the
Monin–Oboukhov theory is often applicable to the
analysis of the oceanic processes as well. In particular,
it provides us with a theoretical basis on which to
separate the layers of free and forced convection in the
upper ocean turbulent boundary layer.

For a 5m s�1 wind speed andQ0 ¼ 100Wm�2, the
Oboukhov scale is LO � 15m. This means that the
shear-driven turbulent flow is confined within a 1:5m
thick near-surface layer of the ocean. In a 50m deep
mixed layer, 97% of its depth will be driven by the
buoyant convection during nighttime, with the rate of
dissipation of turbulent kinetic energy there being
about equal to the surface buoyancy flux,B0, as shown
by Shay and Gregg.

Convection and Molecular Sublayers

Convection is driven by the horizontal-mean vertical
density gradient. At highRa, typical vertical velocities
are much lower near the top and bottom boundaries
than they are in the bulk of thewater column. Since the
vertical density gradient is reduced by the convective
motion, the velocity distribution causes most of the
vertical density gradient to occur near the boundaries.
Indeed, under low-wind, low-wave conditions in
which convection dominates, the mixed-layer temper-
ature gradient is largely confined to a region only
about 1mm deep. Because the vertical heat flux at the
base of the convection region is typicallymuch smaller
than at the surface, the large temperature gradient only
occurs at the surface, where this thermal sublayer is
often referred to as the cool skin.

The temperature jump across the cool skin can be
related to the vertical flux of heat at the air–sea
interface and constants ofmolecular viscosity and heat
diffusion in water using convection laws. The vertical
heat flux, Q0, can be written in nondimensional form
as the Nusselt numberNu (eqn [5]), in which the heat
flux is normalized by the heat flux due to vertical

diffusion in the absence of convection.

Nu ¼ Q0=cpr
kTDT=h

½5�

This quantity must be a function of the given nondi-
mensional parameters of the system, which for ther-
mal convection in the absence of other driving
mechanisms are just Ra and the Prandtl number Pr
(here we ignore the Earth’s rotation and entrainment
from the pycnocline). A further simplifying assump-
tion is that for highRa (greater than 107) typical of the
mixed layer, the convection is fully turbulent and does
not depend on the mixed layer thickness, h, which
implies that eqn [6] holds, where AðPrÞ is a dimen-
sionless coefficient depending on the Prandtl number
(according to laboratory measurements, A �
0:16–0:25).

Nu ¼ AðPrÞRa1=3 ½6�
Given the definitions ofRa andNu, this relation can be
rearranged to yield the temperature difference DI
across the cool skin as a function of the surface heat
flux Q0 ¼ QL þQE þQT as in eqn [7].

DT ¼ A�3=4 agk2T
n

� ��1=4
Q0

cpr

� �3=4

½7�

DT is 0:2–0:4�C under typical oceanic conditions but
can be as much as 1�C in regions of very high heat loss
to the atmosphere (e.g., the Gulf Stream at high
latitudes).

While the term ‘sea surface temperature’ (SST) is
often used to represent the temperature of the mixed
layer as awhole, the existence of a cool skinmeans that
the temperature of the literal surface of the ocean can
be somewhat lower than the rest of the mixed layer.
Satellite measurements of SST are based on infrared
emissions from a layer several micrometers thick, so
that these measurements can be somewhat different
from ship-based ‘surface’ measurements, which are
generally based on sampling within the upper several
meters of the ocean. Indeed, while the first experi-
mental evidence of the cool skin was obtained in the
1920s, this phenomenonwas notwidely recognized by
the oceanic community until sophisticated methods,
including remote sensing by infrared techniques,
began helping to incorporate the cool skin into
modern oceanography.

The accuracy of current satellite remote sensing
techniques is, nevertheless, still below that level at
which the cool skin becomes of crucial importance.
The effect of the cool skin on the heat exchange
between ocean and atmosphere is also basically below
the resolution of widely used bulk-flux algorithms.
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However, one interesting practical application of the
cool skin phenomenon emerged in the 1990s. Similar
laws govern the thermal sublayer of the ocean (the cool
skin) and diffusive sublayers associated with air–
sea gas exchange. Such gas exchange is a key biogeo-
chemical variable, and for greenhouse gases such as
CO2 is of climatological importance as well. The rate
at which gases cross the air–sea interface is measured
by the piston velocity, K (see Air–Sea Interaction:
Gas Exchange). Boundary layer laws relate K to DT
according to eqn [8].

K ¼ A0Q0ðm=nÞ1=2
cprDT

½8�

In eqn [8], A0 is a dimensionless constant ð� 1:85Þ
andm is themolecular gas diffusion coefficient inwater
(m ¼ 1:6�10�9 m2 s�1 for CO2 at T ¼ 20�C and
S ¼ 35 psu). The more readily available cool skin
data can then be used for an adjustment of the gas
transfer parameterization.

The convective parameterizations for the cool skin
and air–sea gas exchange are valid within the range of
wind speed from 0 to 3–4m s�1. Under higher wind
speed conditions, the cool skin and the interfacial air–
sea gas exchange are controlled by the wind stress and
surface waves. The transition is observed when the
surface Richardson number, Rf0 ¼ agQ0=ðcpru4nÞ,

reaches a value of approximately �1:5�10�5 (here r
is the water density).

Diurnal and Seasonal Cycle
of Convection

For much of the year, much of the ocean experiences a
cycle of daytime heating and nighttime cooling that
leads to a strong diurnal cycle in convection andmixed
layer depth. Such behavior is illustrated in Figure 4. At
night, when there is cooling, the convective plumes
reach the base of themixed layer, which deepens as the
mixed layer grows colder and denser. During the day,
convection is inhibited within the bulk of the mixed
layer but may still occur near the surface of the mixed
layer, even if the mixed layer experiences a net heat
gain. This is because the vertical distributions of
cooling and heating are somewhat different. Heat loss
is dominated by latent heat flux associated with
evaporation, hence this forcing occurs at the top
surface.Heat gain is dominated by solar radiation that
is absorbed by the water over a range of depths that
can extend tens of meters in many parts of the ocean.
For example, one can have surface heat loss of
100Wm�2 occurring at the surface and net radiative
heat gain of 500Wm�2 distributed over the top 30m
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b ¼ �B0, and J0

q ¼ �ðQ0 þQRÞ, where QR is the solar radiation flux penetrating ocean surface. (Reproduced from Lombardo CP and

Gregg MC (1989) Similarity scaling during nighttime convection. Journal of Geophysical Research 94: 6273–6214.)
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of the ocean.Calculating the rate of change of heat due
to the forcing between the surface and a depth z, we
find that there is actually heat loss for small zdown to a
depth known as the thermal compensation depth.
Below this depth, the mixed layer re-stratifies and
convection occurs only through the mechanism of
penetrative convection. For most of the world ocean,
the thermal compensation depth is less than 1m
between sunrise and sunset.

Usually, the rate of turbulent kinetic energy pro-
duction in the mixed layer is dominated by the
convective term at night but by the wind stress term
during most of the day. Because the thermal compen-
sation depth is generally quite small, turbulent kinetic
energy generated by convection makes no contribu-
tion to turbulent entrainment of water through the
bottom of the mixed layer, which lies much deeper.
Under conditions of low wind speed and strong solar
insolation, the thickness of the surface convective
layer of the ocean may reduce to only several centi-
meters. In that case, convection in the upper ocean
may be of a laminar or transitional nature.

Stable stratification inhibits turbulentmixing below
the relatively thin near-surface convection layer. Ver-
tical mixing of momentum is confined to the shallow
daytimemixed layer, so that during the dayflowdriven
directly by the wind stress is confined to a similarly
thin current known as the diurnal jet. In the evening,
when convection is no longer confined by the solar
radiation effect, convective plumes penetrate deeper
into the stratified part of the mixed layer, increasing
the turbulent mixing of momentum at the bottom of
the diurnal jet. The diurnal jet then releases its kinetic
energy during a relatively short time. This process is so
intensive that the released kinetic energy cannot be
dissipated locally. As a result, a Kelvin–Helmholtz
type instability is formed, which generates billows – a
kind of organized structure. The billows intensify the
deepening of the diurnal mixed layer.

Although the energy of convective elements is
relatively small, it serves as a catalyst for the release
of the kinetic energy by the mean flow. In the
equatorial ocean, the shear in the upper ocean is
intensified by the Equatorial Undercurrent; the eve-
ning deepening of the diurnal jet is therefore some-
times so intense that it resembles a shock, which
radiates very intense high frequency internal waves in
the underlying thermocline.

The diurnal cycle is often omitted from numerical
ocean models for reasons of computational cost.
However, the mixed layer response to daily-averaged
surface fluxes is not necessarily the same as the average
response to the diurnal cycle. Neglecting the diurnal
cycle replaces periodic nightly convective pulses with
chronic mixing that does not reach as deep.

Open ocean convection is a mechanism effectively
controlling the seasonal cycle in the ocean as well.
Resolution of diurnal changes is usually uneconomical
when the seasonal cycle is considered. Because of
nonlinear response of the upper ocean to the atmos-
pheric forcing, simply averaged heat fluxes cannot be
used to estimate the contribution of the convection on
the seasonal scale. The sharp transition between the
nocturnal period, when convection dominates mixing
in the surface layer, and the daytime period, when the
Sun severely limits the depth of convection, leaving the
wind stress to control mixing, may simplify the design
of models for the seasonal cycle of the upper ocean.
Incorporation of convection adjustment schemes into
the oceanic component of the global circulation
models leads to an appreciable change of troposphere
temperature in high latitudes, which affects the global
ocean and atmospheric circulation. Parameterization
of the convection on the seasonal and global scale is
therefore an important task for the prediction of
climate and its changes.

Conclusions

Observation of the open ocean convection is a difficult
experimental task. Although convective processes
have been observed in several oceanic turbulence
studies, most of our knowledge of this phenomenon in
the ocean is based on the analogy between atmospher-
ic and oceanic boundary layers and on laboratory
studies. Many intriguing questions regarding the
convection in the open ocean remain. Some of them,
such as the role of penetrative convection in mixed
layer dynamics, are of crucial importance for im-
provement of the global ocean circulation modeling.
Others, like the role of surfactants in the surface
renewal process, are of substantial interest for study-
ing the air–sea exchange and global balance of
greenhouse gases such CO2.

See also

Air–Sea Interaction: Gas Exchange; Sea Surface Tem-
perature. Ocean Circulation: Surface–Wind Driven
Circulation; Thermohaline Circulation. Parameterization
of Physical Processes: Turbulence and Mixing. Turbu-
lence and Mixing.
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Introduction

Convection occurs when a fluid is heated or cooled
either at its boundaries (e.g., daytime heating of
ground or nighttime cooling of ocean surface) or in
its interior (e.g., clouds). It is of profound importance
in atmospheric and oceanic dynamics, particularly in
transporting heat from one location to another.
Convection may be driven solely by the buoyancy
forces (‘‘buoyant convection’’) or by a combination of
buoyancy and mechanical (e.g., pressure gradient)
forcing known as ‘‘forced convection.’’ Convective
phenomena abound in the atmosphere, spanning from
planetary scale to small scales, with each scale playing
an important role in maintaining delicate balances of
heat, moisture, and momentum in the atmosphere
conducive for life. Atmospheric convection is strongly
coupled with oceanic processes though air–sea inter-
action, the combined action of which largely deter-
mines the climate on the Earth. Over the history of the
Earth (and other planets), convective processes have
undergone large changes that have affected the
oceanic and atmospheric general circulation patterns.
Further changes are expected in the future as a result
of anthropogenic activities, which, some believe,
could even be to some extent detrimental to human
existence.

On the planetary scale, atmospheric convection is
largely driven by themeridional imbalance of net solar
radiation, contributed by a net radiative gain in low
latitudes and a loss in polar regions as well as heat loss
at upper levels by radiative cooling. In the absence of
air circulation, such an imbalance would lead to a
continuous increase in temperature at low latitudes
and vice versa, but convection acts to prevent such
changes by realizing meridional transfer of heat. For a
nonrotating Earth, this would cause the rise of low-
latitude warm air followed by sinking of cold air in
high latitudes, forming a single meridional overturn-
ing cell (Hadley circulation). Because the Earth
rotates, the circulation cell is greatly modified by
Coriolis forces, the compounding effects of which
make the Hadley circulation unstable. As a result, the
planetary convection consists of three circulation cells,
communicatingwith each other through a complex set
of processes, as illustrated in Figure 1. The first
(Hadley) cell is dominated by upper radiative cooling,
with little influence of Earth’s rotation, in much the
same way as in the previously described Hadley
circulation. The rising equatorial air reaches very
high altitudes (deep convection), of the order of tens of
kilometers, thus forming a belt of clouds (Intertropical
Convergence Zone). Sinking air parcels in the Hadley
cell feed the equatorial Trade Winds and drive the
Ferrel cell, in which poleward-moving warm air
encounters colder-high latitude air to form the polar
front. Such a front can attain geostrophic equilibrium,
with the cross-frontal pressure gradient balanced by
the Coriolis forces of zonal flows (polar frontal jets).
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The warm and cold air tend to be separated by a
sloping (frontal) surface, which becomes unstable
(baroclinic instabilities) and degenerates intowavelike
disturbances that allow the interchange of air parcels
along slanted paths (known as the slantwise or slope
convection). Without such slanting convection, the
meridional flowwould be symmetric andwould spiral
toward the poles, with inefficient heat transport
capabilities. Slantwise convection allows fluid parcels
to rise and fall along inclined paths, releasing the
potential energy of the front in the form of kinetic
energy of baroclinic waves. Symmetric spiraling
convection can only transport about one-eighth of
the heat flux that is needed to be transported
meridionally, but slantwise convection with six
baroclinic waves can accomplish this task.

In addition to the planetary-scale phenomena,
convective processes of smaller scales are prevalent
in the atmosphere: from synoptic-scale andmeso-scale
convection in the troposphere (powered by latent heat
released during condensation in clouds) to boundary
layer-scale convection driven by the heating at land
and ocean surfaces. Convection over land may arise
and be modified by nonuniform spatial heating, for
example, due to isolated sources of widely different
scales (e.g., thermals released from the ground, anvil
clouds, microbursts, and urban heat islands). The
nature of the terrain, whether it is complex or flat
terrain, also affects convection. All of these types of
convection are complex and often defy detailed
theoretical treatment. To this end, laboratory models
(mostly conducted with liquid working fluids) have
played an important role in understanding atmo-
spheric convection, and a very brief review of some
relevant laboratorymodeling efforts is presented here.

Sloping Convection

Much of the initial understanding of sloping convec-
tion associated with the general circulation of
the atmosphere has come from laboratory experi-
ments. A typical laboratory flow configuration
consists of a fluid annulus with inner and outer radii
a and b and temperatures Ta and Tb, respectively,
subjected to background rotation of frequency O
(Figure 2). To mimic the atmosphere, the outer
annulus is maintained colder than the inner annulus,
DT ¼ Ta � Tb > 0. The governing parameters for
the problem are a, b, O, gaDT (a is the thermal
expansivity and g the gravity), n (kinematic viscosity),
k (thermal diffusivity), and d (depth of the fluid layer).
In most cases, the dependence on a and b can
be replaced by (b� a). Note that, in the absence
of rotation, the radial temperature differential of
DT of a fluid column of depth d can initiate a
meridional (radial) gravity current of speed of
U � ðgaDTdÞ1=2, but this current is rotationally
arrested when the Rossby number Ro ¼ U=Oðb� aÞ
or the parameter gaDTd=O2ðb� aÞ2 is sufficiently
small. Prior to the initiation of rotational effects,
the convection tends to assume the Hadley circula-
tion, with the flow confined to upper and lower
boundary layers; but as the rotation is imposed
the fluid parcels deflect in the zonal direction, with
the upper level flow spiraling toward the poles.
The nature of convection therein is determined
by the governing parameters for the problem, given
in eqns [1]–[4].

RoT ¼ gaDTd

O2ðb� aÞ2 ½1�
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Figure 1 A schematic of the atmospheric general circulation driven bymeridional variation of the heat flux. The three-cell structure and

the deep and slantwise (sloping) convection are indicated. The daytime convection in complex and flat terrain is depicted in the inset.

(Adapted from Houghton (1989).)
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Ta1 ¼ 4O2ðb� aÞ4ðb� aÞ
n2d

½2�

Ta2 ¼ 4O2d4

n2
½3�

Pr ¼ n
k

½4�

where Ta1 and Ta2 are the Taylor numbers
withTa1=Ta2 ¼ ½ðb� aÞ=d�5. Figure 2 shows a regime
diagram of an experiment carried out at constant
ðb� aÞ=d and Prandtl number Pr, wherein the
important governing parameters become RoT
and Ta2. At no rotation or very low rotation speeds,
the flow belongs to the Hadley regime, but as
the rotation is gradually increased the flow assumes a
‘symmetric flow regime’ where mean flow is largely
azimuthal (zonal). ForTa1o2�105 or so, the viscosity
ensures that the flow is axisymmetric for all values
of RoT, but at higher Ta1 there exists a range of RoT

values such that the motions are nonaxisymmetric.
In this case, baroclinic waves with a dominant
wavenumber are generated in a background ofmyriad
other wavenumbers. This breakdown process paral-
lels the baroclinic instability of a stratified fluid with
a buoyancy gradient N2 in a rotating fluid, in which
the flow becomes un-stable when the Eady number
E ¼ N2d2=4O2ðb� aÞ2 drops below a critical value.
Widely different behaviors are possible in this
baroclinic wave regime (Figure 2), as discussed below.

At somewhat higher RoT, a well-defined azimuthal
wave pattern dominated by a single wavenumber with
periodic time dependence (amplitude vacillations) is
possible. This (doubly) periodic regime allows large
growth and decay rates of energy of the dominant
mode as well as modulations of its low-amplitude
sidebands and higher harmonics. The lower RoT
region of the wave regime is characterized by
structural vacillations, wherein the wave structure
becomes more complicated with semiperiodic time
dependence of wave shape and energy distribution.
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Figure 2 Flow regimes observed in a ‘dishpan experiment’ with ðb � aÞ=d � 2 and Pr � 21. These experiments mimic baroclinic

waves and slantwise convection observed in the atmosphere. (Compiled from Hide and Mason (1975) and Buzyna G, Pfeffer RL and

Kung R (1984) Transition to geostrophic turbulence in a rotating differentially heated annulus of fluid. Journal of Fluid Mechanics 145:

377–403.)
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It is dominated by a single zonal wavenumber and
much less active higher harmonics. Further reduction
of RoT (and/or increase of Ta2) leads to
a regime with spatially and temporally chaotic flow,
classified as geostrophic turbulence. The changes
between each of these regimes, especially from the
wave to the geostrophic regimes, are usually asso-
ciated with well-defined transitional regimes, but
abrupt transitions (e.g. amplitude to structural vacil-
lation regimes) are also possible. The baroclinic waves
developed in this ‘dishpan’ flow configuration can
realize substantial amounts of meridional heat trans-
port through sloping convection and play an impor-
tant role in the mid-latitude circulation in the
atmosphere. Because of the rich variety of flow and
transitional regimes possible, the mid-latitude atmo-
sphere is the most dynamic and complicated (like a
war zone!).

Convection in Wide Horizontal Fluid
Layers

The archetype of convection in flat terrain is the
case where an unstably stratified fluid layer with
a vertical temperature gradient �TTz is sandwiched
between two horizontal boundaries separated by
a distance d. Overall, this problem has two governing
parameters: the Rayleigh number Ra ¼ ga�TTzd

4=kn
and Pr. However, the linear stability of the problem
is determined by Ra alone, and the onset of steady
convection occurs when Ra exceeds a critical value.
Near this critical value, the flow consists of stationary
cells with the horizontal scale on the order of
the vertical scale (wavelength � d). Linear analysis

does not predict specific horizontal planforms for
the marginally stable flow, but allows the flow to
accept solutions with tessellating symmetric plan-
forms. In reality, the wavelength selection is quite
sensitive to the initial and boundary conditions used;
for example, constant-flux boundary conditions make
cell patterns much flatter than constant-temperature
boundary conditions. Changes inRa, however, lead to
a host of flow patterns (Figure 3). With increasing Ra
beyond the critical value, the updrafts, which emerge
along the boundaries of polygon-shaped planforms
(with size� 2–3d) for marginally stable flows, tend to
concentrate along the hubs of the warm spokes of
polygons. This is also called the ‘spoke’ convection.
Rising warm plumes/thermals from these ‘hot spots’
rise to the upper boundary and spread horizontally,
while downdrafts make up for the lost fluid near the
lower boundary. With a further increase of Ra, the
flow becomes turbulent. Convective turbulent flows
have been thoroughly studied in the laboratory,
particularly the case of constant buoyancy (or heat)
flux q0 (or Q0) at the bottom boundary in view of its
direct applications to the atmospheric daytime
boundary layer. In this case, the flux Rayleigh number
Raf ¼ q0d

4=k2n replaces Ra, where q0 ¼ gaQ0=r0Cp,
r0 is a reference density, andCp is the specific heat. The
flow appears to become turbulent for Raf > 108. The
Rayleigh number convection in the regime Raf �
107–108 occurs in intermittent bursts inwhichblobsof
heated fluid elements (thermals) are sporadically
detached, enter the interior of the fluid and, are
homogenized therein (Figure 4). Motions directly
induced by these thermals and fluid that sweeps in to
fill the void so generated determine the structure of
convection. The sizes of the thermals so produced have
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Figure 3 A diagram showing various forms of convection observed in a horizontal layer of fluid as a function of Rayleigh and Prandtl

numbers. (Reproduced from Krishnamurti R (1970) On the transition to turbulent convection. Journal of Fluid Mechanics 42: 395–320).)
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length and time scales of ðk2n=q0Þ1=4 and ðn=q0Þ1=2,
respectively.

The role of thermals leaving the heated surfaces
changeswith increasingRaf (4109), in response to the
intensification of convection. Although thermals near
the surface may still be developing, they are largely
effaced by strong convective eddies in the fluid layer,
paving theway for updrafts to carry heat fromnear the
surface, which are compensated by downdrafts that
occupy a relatively larger area. The root mean square
(rms) turbulent fluctuations within the convective
layer, evaluated by horizontally averaging the mea-
sured fluctuations at a given distance z from the
surface, show that they follow the scaling proposed by
Deardorff, in that the velocity and length scales of
turbulence for z > 0:1d become, respectively, the
convective velocity wn ¼ ðq0dÞ1=3 and the convective
layer depth d.

In the atmospheric daytime convection, the con-
vective layer is bounded by a density stratified
(inversion) layer aloft, and the structure of convective
motions near the boundary (interface) is governed by
the ‘strength’ of the inversion or the Richardson
numberRi ¼ Dbd=w2

n
, whereDb is the buoyancy jump

across the interface. The updrafts created during
convection penetrate into and generate internal waves
in the stratified layer (Figure 5). Similar imprints of
plume impingement have been observed in radar
studies of atmospheric penetrative convection. The
ensuing vortical perturbations can excite outward-
propagating internal waves, at times carrying a
substantial amount of energy out of the convective
region.

In the Ri range attainable in the laboratory,
interfacial mixing appears to occur by a mechanism
whereby the interface is maintained at a marginally
(statically) unstable state Db ¼ 0. Consequently, in

such flow configurations, also known as nonpenetra-
tive convection, neither a buoyancy jump nor internal
waves exist at the interface. In many geophysical
situations, however, an interfacial buoyancy jump
develops at the interface (penetrative convection),
allowing plumes to cause mechanical entrainment or
internal waves to grow and break. The rate of growth
of the convective mixed layer is an important quantity
in atmospheric boundary layermodeling and is usually
correlated with Ri or a related quantity. The condi-
tions under which the transition from nonpenetrative
to penetrative convection occurs are yet to be
determined.

Since the presence of strong background rotation
constrains inviscid fluid motions parallel to the axis
of rotation (Taylor–Proudman theorem), it suppresses
eddying motions and delays the onset of convection.

Figure 4 The formation of isolated thermals above a heated plate. At higher Rayleigh numbers, these thermals are effaced by the

turbulent eddiesuponestablishment of full convection. (Reproduced fromSparrowEM,HussarRBandGoldsteinRJ (1970)Observations

and other characteristics of thermals. Journal of Fluid Mechanics 41: 793–807.)

Figure5 Thegrowthof a turbulent convective layer into a linearly

stratified environment. The flow visualization has been performed

by introducing fluorescent dye into the bottom convective layer. As

rising updrafts impinge on the stratified layer, they are deflected

and flow along the interface, causing local overturning events as

indicated by A. Thin inward cusp like events indicated by B occurs

when two horizontal counterflows meet each other. (Reproduced

fromFernandoHJS and Little LJ (1990)Molecular-diffusive effects

in penetrative convection. Physics of Fluids A 2(9): 1592–1596.)
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At the onset of convection, however, the flow is
dominated by viscous effects, and hence departures
from the Taylor–Proudman behavior can be observed.
For example, convective plumes emanating from
the buoyancy source (e.g., a heated plate) can rise
vertically in a spiraling path along the axis of rotation,
which can be described by linear stability theory: the
important parameters here are Ra and Pr and the
Taylor number Ta2. The fluid parcels leaving the
boundaries possess vertical vorticity of background
rotation, amplify this vorticity owing to stretching,
and follow biconical particle trajectories as shown in
Figure 6.

Laboratory experiments show wide departure from
linear theory predictions under varying degrees
of supercriticality (the ratio Ta2=Raf has been
proposed as a measure of superciticality, with the
linear regime occurring at Ta2=Rafo25). A wide
variety of supercritical flow states have been docu-
mented, though much is yet to be learned about their
dynamics and transitions. The Raf–Ta2 diagram

shown in Figure 7 indicates possible states as well as
empirical and theoretical demarcation criteria separ-
ating them. At slight supercriticalities, the biconical
structure of linear motion breaks down to form a
regular vortex grid. The vortical structures emanating
from the heated boundary, therefore, consist of thin
annular columns of rising warm fluid and cores of
descending colder fluid. These vortices are quite
stationary, except for the occasional vortex merger.
During the merger process, respective vortices rotate
around each other while becoming closer, and initiate
connection at the top of the vortices while interlacing
with each other. The lateral motion and merger of
vortices becomes pronounced with increasing super-
criticality (nonlinearity), although the general regu-
larity of the vortex grid is retained. Further increase of
supercriticality causes the regular grid to transform
into an irregular vortex grid, where the vortices are
somewhatweaker, move randomly, andmerge. Unlike
the regular vortex grid case, these vortices do not
extend to the heated bottom boundary, the flow in the
vortex core is absent, and the vortices are not strictly
vertical (geostrophic vortices). At larger Rayleigh
numbers, the irregular vortex regime transitions to
a regime with distinct ephemeral vortices, also known
as ‘isolated plume vortices’. Unlike geostrophic
vortices, these structures appear spontaneously,
are intense, extend to the heated boundary, abide for
a short period of time, and then fade away, much
like the ‘dust devils’ in the atmosphere. These vortices
undergo intense stretching and merging, indicating
strong nonlinearity of the motion field. Away from
the boundaries, the vortices assume gradient wind
balance due to strong curvature of flow paths.
Interposed between these isolated vortices are (inco-
herent) turbulent motions, which are influenced by
the vortices and perhaps affected by Coriolis forces.
Measurements show that convective turbulent
motions are affected by background rotation
at a height hr � 4:5ðq0=O3Þ1=2 from the source,
whence the rms velocity and integral length scale,
respectively, are given by ur ¼ 1:7ðq0=OÞ1=2 and
‘r ¼ 1:1ðq0=O3Þ1=2, thus maintaining a constant
Rossby number Ro ¼ ur=2O‘r � 0:75. In typical
oceanic deep convection regions, hr is of the order of
10 km, and its value can be much higher for atmo-
spheric deep convection. Therefore, turbulence gen-
erated during deep convection can be considered as
unaffected by Earth’s rotation.

Convection in Complex Terrain

The flow in complex terrain differs greatly from
its flat-terrain counterpart in that a host of

Figure 6 A perspective sketch of the path of a fluid parcel in a

hexagonal cell in rotating convection. (Reproduced fromVeronisG

(1959) Cellular convection with finite amplitude in a rotating fluid.

Journal of Fluid Mechanics 5: 401–435.)
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new physical phenomena emerge owing to topo-
graphic influences, as illustrated in Figure 8 using a
generic configuration of an open valley adjoining
a plane and the response thereof to diurnal varia-
tion of thermal forcing. The nighttime flow consists of
the drainage of dense air formed on slopes into
the valley (downslope, drainage, or katabatic winds)
and the channeling of air pooled at the bottom of
the valley to the nearby plane (downvalley winds).
The extent of pooling in a valley depends on a number
of factors, including topographic barriers, valley
geometry, and hydraulic control at the valley mouth.
Drainage winds, which are driven purely by
downward buoyancy forces, play an important role
in the development of stable stratification in
urban valleys at night. During the day, the flow
consists of upvalley and upslope flows driven by
upward buoyancy forces. Both upslope and
downslope winds, therefore, are examples of con-
vection.

A laboratory model of a simplified complex terrain
consisting of a two-dimensional sinusoidal basin is

shown in Figure 9. The bottom of this model is
subjected to heating and cooling, mimicking the
diurnal thermal forcing. In the morning, heating of
the ground generates a shallow convective boundary
layer (CBL) at the bottom and the slopes of the valley.
Since the contours of mean temperature are parallel to
the slope, an upslope mean pressure gradient force is
generated, thus inducing a weak upslope mean flow
(a case of Coanda effect) within a thin boundary layer
(Figure 9A). Lateral mixing of this upslope flow with
background air generates air parcels of varying
densities, which can intrude into ambient air if the
basin is stably stratified (Figure 9B). Such intrusions
can form a layered density structure in the basin,
producing a variable lapse rate. By midday, with the
intensification of heating, the upslope flow strength-
ens, removing substantial amounts of turbulent air
from theCBL and creating a compensatory subsidence
in the middle of the valley. The competition between
the subsidence of the stable core and the growth of the
CBL determines the daytime flow and transport in the
basin. In reality, the subsidence of warm air into a
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valley, compounded with topographic amplifica-
tion (higher temperatures in the valley than the nearby
plane due to a lesser amount of air contained below

a given ridge-level plan area), leads to a down-
valley hydrostatic pressure gradient and hence an
upvalley flow. The nighttime cooling of the slopes
creates katabatic flow that pools in the basin.
The shear between the katabatic flow and the
ambient air lead to the development of overturning
instabilities and turbulent mixing along the slopes
(Figure 9C).

Convection from Isolated Sources

Convection occurring in nature is delimited by the
finite spatial extent of forcing, and in some cases the
aspect ratio A (defined as the ratio of the width W to
the depth d of convection) is small enough for lateral
motions to play an important role in the dynamics of
convection. The idealized case of W ! 0 ðA ! 0Þ
corresponds to point/line thermals (blobs of buoyant
fluid; Figure 10A) or plumes (continuous buoyancy
sources; Figure 10B), studies on which are useful
building blocks in understanding natural flows. Point
(line) plumes are described by the total buoyancy
flux (buoyancy flux per unit length) and point
(line) thermals are specified by the total buoyancy

Downslope

Down
valley

UpUp
valley

Upslope

Plane

Figure 8 A schematic of flow phenomena occurring in complex

terrain consisting of a simple valley and an adjoining plane.

Downslope and downvalley winds during the day and upslope and

upvalley winds during the night are indicated.

Figure 9 A laboratory model of a two-dimensional basin that illustrates upslope and downslope winds in complex terrain. (A) Upslope

winds generated during the heating of the basin bottom; dye has been introduced at the basin bottom for flow visualization. (B) The same

as in (A), but the basin fluid is stably stratified with temperature. Note the formation of horizontal intrusions into the stable core. (C) The

formation of a downslope flow upon cooling of the basin surface. The shear between the katabatic flow and the ambient fluid generates

overturning instabilities.
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(buoyancy per unit length) released at the source. The
dynamics of point and line thermals and plumes in
homogeneous and stratified flows have been exten-

sively studied in the laboratory.Much of the literature
on cases with background rotation is recent, however,
and can be attributed to the increased emphasis on
deep convection as well as oceanic leads, polynyas,
and hydrothermal vents, in recognition of their
climatic implications.

Laboratory studies show that in nonrotating and
nonstratified environments, the travel distance of
plume and thermal fronts hp increases with time t
according to simple laws dictated by dimensional
analysis, hp � 1:7ðqpt3Þ1=4 and hp ¼ 1:8q

1=4
T t1=2,

where qp and qT, respectively, are the buoyancy flux
and total buoyancy of the plume and thermal. In
the presence of rotation, the Coriolis effects tend
to constrain the growth of the plume/thermal at a
time t � O�1; the subsequent growth is characterized
by the inhibition of the lateral growth and somewhat
slow vertical descent. Eventually, the plume/thermal
transforms into a cylindrical cyclonic vortex, within
which smaller, slender vortices are also evident.Owing
to Coriolis effects, the exterior entrainment flow
deflects to form a cyclonic vortex (Figure 11A), which,
after some time, breaks down by barotropic instabil-
ities to form cyclonic eddies (Figure 11B), the size of
which scales with the width of original cyclonic
circulation.

Atmospheric and oceanic plumes/thermals typically
interact with either a boundary or a density interface,
whence interesting phenomena arise. Figure 12 shows
the impingement of a descending line plume on
a density interface, followed by the generation
of a gravity current. When the interface is strongly
stable, the evolution following the impingement
is similar to that at a solid boundary (Figure 12A),
but substantial penetration of the plume through
the interface and turbulent mixing is possible
when the interface is weak (Figure 12B). Back-
ground rotation induces an anticyclonic circulation

Figure 10 A point thermal (A) and a plume (B) descending in a

homogeneous environment toward a solid surface. Note the

formation of well-defined vortices upon plume impingement on

the surface, illustrating the structure of horizontal wind shear

generated during microburst impacts.

Figure 11 The plan view of a plume descending into a homogeneous fluid. (A) Note the generation of a rim current (indicated by an

arrow) surrounding the source. (B) Breakdown of the rim current into eddies. (Reproduced from Fernando HJS, Chen RR and Ayotte BA

(1998) Development of point plumes in the presence of background rotation. Physics of Fluids 10(9): 2369–2383.)
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within this outflow, thus generating frontal shear
and ultimately breaking down the current to form
a series of anticyclonic vortices (Figure 13A, B).
The size of the current at the onset of instabilities
and the eddy sizes scale with the Rossby deforma-
tion radius, pointing to the dominance of baro-
clinic instability. When eddies form away from
the solid boundaries, they can achieve approximate
geostrophic balance, with the ratio of the eddy radius
Re to the height he being proportional to N=2O,
yielding aPrandtl ratio ofNhe=2ReO � ð0:45–0:8Þ. At
solid boundaries, viscous effects become important
and eddies are strongly ageostrophic.

Cyclonic vortices generated by source-level rim
current and anticyclonic vortices formed at greater
depths by the breakdown of radial outflow interact
to form a system of vortices in which the rota-
tion varies from anticyclonic to cyclonic over
the depth (Figure 13B); these belong to the class
of vortex structures known as ‘hetons’. The thermal
wind balance maintains the vertically varying
circulation of these vortices, and the interface be-
tween lighter upper and dense lower parts of
the hetons domes to maintain the geostrophic
balance.

When the buoyancy source is distributed (say
over the diameter D0), then point plume approxima-
tion becomes invalid. Far from the source (greater

than about 10D0), however, the memory of source
dimensions is lost and the plume evolution resembles
that of a point plume. Near the source, D0

is important, and thus Deardorff’s free convection
scaling fails. For example, the velocity scale near
the source is given by ðq0D0Þ1=3, based on the
buoyancy flux per unit area q0. As in the case of point
plumes, the presence of rotation leads to a rim current
that breaks down to form cyclonic vortices, and
the outflow at greater depths carrying dense fluid
becomes unstable to form anticyclonic eddies.
The evolution of distributed plumes in rotating fluids
depends on the relative magnitudes of D0 and
the characteristic Rossby deformation radius LR.
When D0oLR, the plume evolution is qualitatively
similar to the point source case described above.
Conversely, when D0 >LR, the distributed plume
is baroclinically unstable from the outset, and the
plume evolution is dominated by the lateral eddy
shedding.

Interesting phenomena arise when the vertical
development of plumes is affected by background
stratification. For example, in the absence of rota-
tion, a point plume released into a uniformly stratified

Figure 12 Impingement of a dense line plume on a density

interface. (A) A ‘strong’ interface deflects the current,Rip ¼ 53. (B)

Amoderately stable interfaceallows theplume to penetrate into the

lower layer and then spread horizontally,Rip ¼ 1; the arrow shows

the interfacial location.Here the interfacial ‘strength’ ismeasured in

terms of a Richardson number Rip ¼ Db‘p=u2
p based on the

buoyancy jump across the interface Db and the velocity up and

length scale ‘p of the impinging plume. (Adapted from Ching CY,

Fernando HJS and Noh Y (1993) Interaction of a negatively

buoyant line plume with a density interface. Dynamics of Atmo-

spheres and Oceans 19: 367–388.)

Figure 13 The impingement of a (dyed) descending point plume

with a boundary in a rotating fluid (cf Figure 10B). The plume is in

the center. Note the formation of a frontal surface (A) and its

breakdown to formanticyclonic eddies. (B) The cyclonic eddies are

marked by particle streaks and the anticyclonic eddies are seen as

colored regions. They are located one above the other, forming the

structures known as hetons. (Reproduced from Fernando HJS,

Chen RR and Ayotte BA (1998) Development of point plumes in

the presence of background rotation. Physics of Fluids 10(9):

2369–2383.)
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fluid of buoyancy frequency N rises to its neutrally
buoyant level hN � 3q

1=3
p =N and forms a horizontal

intrusion. When background rotation is present,
the plume can be affected by background rotation,
either in the rising or horizontal spreading phase.
The latter scenario is possible in deep convection
of high-latitude oceans in which horizontally spread-
ing gravity currents become unstable and shed
off anticyclonic (geostrophic) eddies (as in
Figure 13).

Nomenclature

a Inner radius of the dishpan
A Aspect ratio (W=d)
b Outer radius of the dishpan
Cp Specific heat
d Depth of the fluid layer
D0 Diameter of the buoyancy

source
E ¼ N2d2=

4O2ðb� aÞ2
Eady number

g gravitational acceleration
he Height of the eddies
hN � 3q

1=3
p =N Neutral depth of a plume in a

stratified layer
hp Travel distance of a plume

front
hr � 4:5ðq0=O3Þ1=2 Depth where rotation affects

the convective turbulence
‘r ¼ 1:1ðqo=O3Þ1=2 Length scale of the convective

turbulence (subscript p denotes
plumes)

LR Rossby deformation radius
N Background buoyancy fre-

quency
Pr Prandtl number
q0 ¼ gaQ0=r0Cp Buoyancy flux
qp Buoyancy flux of a plume
qT Total buoyancy of a thermal
Q0 Heat flux
Ra ¼ ga�TTzd

4=kn Rayleigh number
Raf ¼ q0d

4=k2n Flux Rayleigh number
Re Radius of eddies
Ri ¼ Dbd=w2

n
Richardson number (subscript
p denotes plumes)

Ro Rossby number
RoT Thermal Rossby number of

dishpan experiments
t Time
Ta Inner temperature of the dish-

pan
Tb Outer temperature of the dish-

pan

Ta1 Taylor number
Ta2 Taylor number
�TTz Vertical temperature gradient
ur ¼ 1:7ðq0=OÞ1=2 Velocity scale of rotating con-

vective turbulence (subscript p
denotes plumes)

U � ðgaDTdÞ1=2 Gravity current speed
wn ¼ ðq0dÞ1=3 Convective velocity of Dear-

dorff
W Width of the convective source
z Distance from the heated sur-

face
a Thermal expansivity
n Kinematic viscosity
k Thermal diffusivity
r0 Reference density
Db Buoyancy jump across a den-

sity interface
DT ¼ Ta � Tb > 0
O Rate of rotation

See also

Baroclinic Instability. Boundary Layers: Convective
Boundary Layer. Convection: Convection in the Ocean.
Coriolis Force. Frontogenesis. General Circulation:
Overview. Hadley Circulation. Katabatic Winds.
Laboratory Geophysical Fluid Dynamics. Micro-
bursts. Parameterization of Physical Processes:
Turbulence and Mixing. Tropical Meteorology: Inter
Tropical Convergence Zones (ITCZ).

Further Reading

Blumen W (ed.) (1990) Atmospheric Processes Over
Complex Terrain. Meteorological Monographs 23 (45).
American Meteorological Society.

Bodenschatz E, Pesch W and Ahlers G (2000) Recent
developments in Rayleigh–Benard convection. Annual
Review of Fluid Mechanics 32: 709–778.

Chandrasekhar S (1961) Hydrodynamic and Hydromag-
netic Stability. New York: Oxford University Press.

Emanuel KA (1994) Atmospheric Convection. New York:
Oxford University Press.

Fernando HJS and Smith DC IV (2001) Vortex structures in
geophysical convection. European Journal of Mechanics
B – Fluids 20: 347–470.

Fischer H, List J, Koh R, Imberger J and Brooks N (1979)
Mixing in Inland andCoastalWaters. London: Academic
Press.

Houghton J (1989) The Physics of the Atmosphere.
Cambridge: Cambridge University Press.

Hide R and Mason PJ (1975) Sloping convection in a
rotating fluid. Advances in Physics 24: 47–100.

Hunt JCR (1998) Eddy dynamics and kinematics
of convective turbulence. In: Plate EJ et al. (eds),

538 CONVECTION / Laboratory Models



Buoyant Convection in Geophysical Flow. Dordrecht:
Kluwer.

Maxworthy T (1997) Convection into domains with open
boundaries. Annual Review of Fluid Mechanics 29:
327–371.

McIlveen R (1992) Fundamentals of Weather and Climate.
London: Chapman and Hall.

Scorer RS (1978)Environmental Aerodynamics. NewYork:
Ellis Horwood.

Tritton DJ (1977) Physical Fluid Dynamics. Reading: Van
Nostrand Reinhold.

Siggia ED (1994)HighRayleigh number convection.Annual
Review of Fluid Mechanics 26: 137–168.

Turner JS (1979) Buoyancy Effects in Fluids. Cambridge:
Cambridge University Press.

Whiteman CD (2000) Mountain Meteorology, Fundamen-
tals and Applications. New York: Oxford University
Press.

CONVECTIVE CLOUD SYSTEMS MODELING

W-K Tao, NASA Goddard Space Flight Center,
Greenbelt, MD, USA

MWMoncrieff, Mesoscale & Microscale Meteorology
Division, Boulder, CO, USA

Copyright 2003 Elsevier Science Ltd. All Rights Reserved.

Introduction

Numerical cloud models, which are based on the
nonhydrostatic equations of motion, have been ex-
tensively applied to cloud-scale and mesoscale pro-
cesses during the past four decades. Because cloud-
scale dynamics are treated explicitly, uncertainties
stemming from convection that have to be parame-
terized in (hydrostatic) large-scale models are obviat-
ed, or at least mitigated, in cloud models. Global
modelswill require a nonhydrostatic frameworkwhen
their horizontal resolution approaches 10 km, the
theoretical limit of the hydrostatic approximation.
This juncture will be reached in one or two decades.

The earliest kind of cloud model, the one-dimen-
sional entraining bubble or plume that simply param-
eterizes the lateral entrainment of environmental air,
was used extensively in cloud-seeding research. It is
still used in convective parameterization schemes. In
the 1960s, two-dimensional cloud models (with grid
sizes of a few hundredmeters)were developed to study
cloud evolution in idealized environments. Three-
dimensional cloud models (with grid sizes of 1–2
kilometers), developed in the early 1970s, quantified
the effects of wind shear on convection, for example,
squall lines and mid-latitude supercell thunderstorms,
which are associated with tornado genesis.

During the late 1970s and early 1980s, cumulus
ensemble models (also known as cloud-resolving
models with few hundreds meter grid resolutions)
began to quantify the collective effect of convection on
the large-scale environment, with emphasis on the
Tropics. A primary objective was to improve cumulus

parameterizations, a quest that continues to this day.
The effect of ice processes on cloud formation and
evolution, stratiform rain processes and their relation
to deep convective rainfall were focal points during
this period, as was the organizing effect of environ-
mental windshear on mesoscale convective systems.
The impact of radiative processes on cloud develop-
ment was investigated in the late 1980s. In the 1990s,
cloud-resolving models (with grid resolutions of 1–3
kilometers) began to quantify multiscale interactions,
cloud chemistry interactions, cloud–climate interac-
tion and surface processes. An important application
was the design of satellite rainfall-retrieval algori-
thms for the Tropical Rainfall Measuring Mission
(TRMM). Table 1 lists the major highlights of cloud-
resolving modeling over the past four decades.

Theoretical studies have advanced our basic know-
ledge of convection dynamics, and also how convec-
tion interacts with large scales of motion. These
studies enable the complexity of numerically simulat-
ed clouds to be reduced to first principles, which is
essential to understand the role of moist processes in
the Earth’s weather and climate at a basic level.

During the past generation, voluminous data sets on
atmospheric convection have accumulated from radar,
instrumented aircraft, satellites, and rawinsonde
measurements in field campaigns, enabling detailed
evaluation of models. Improved numerical methods
have resulted inmore accurate and efficient dynamical
cores in models. Improvements have been made in the
parameterizations of microphysical processes, radia-
tion, boundary layer effects, and turbulence; how-
ever, microphysical parameterizations remain a major
source of uncertainty in all classes of atmospheric
models.

In recent years, exponentially increasing computer
power has extended cloud model integrations from
hours to months, and the number of computational
grid points from less than a thousand to close to
ten million. Three-dimensional models are now more
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prevalent. Much attention is devoted to precipitating
cloud systems where the crucial 1 km scales are
resolved in horizontal domains as large as 10 000 km
in two dimensions, and 106 km2 in three dimensions.
Cloud models (cloud-resolving models) are thus a
comprehensive facility whether used in an idealized
framework or in close conjunction with observations.
Observations provide both the initial conditions and
data for model validation; model results provide
statistical informationuseful for developing physically
based parameterization for climate models and nu-
merical weather prediction models.

Physical Processes in Cloud Models

Cloud microphysical processes (phase changes of
water and precipitation) must be parameterized in
cloud models, as must atmospheric turbulence (dissi-
pation of kinetic energy), turbulent processes at
oceanic or terrestrial boundaries (latent and sensible
heat fluxes into the atmosphere), and radiative transfer
processes (complex in the presence of clouds).

Microphysics and Precipitation

Figure 1 depicts the widely used two-class liquid
(cloud water and rain droplet) and three-class ice
(cloud ice, snow and graupel/hail) microphysics
schemes. The shapes of liquid and ice are assumed to

be spherical. The warm cloud microphysics assumes
the population of water particles is bimodal, consist-
ing of small cloud water droplets whose terminal
velocity is minute compared to typical vertical
air velocities, and large rain droplets that obey certain
size distributions based on limited observations.
Condensation, evaporation, and autoconversion/col-
lection processes (from small cloud droplets to
large rain droplets) are parameterized. The ice micro-
physics assumes three types of particles: small cloud
icewhose terminal velocity is alsominute compared to
typical vertical air velocities, snow whose terminal
velocity is about 1–3m s�1, and large sized graupel or
hail with faster terminal velocities. Graupel has a
low density and a high intercept (i.e., high number
concentration). In contrast, hail has a high density
and a small intercept. The choice of graupel or hail
depends on where the clouds or cloud systems devel-
oped. For tropical clouds, graupel is more represent-
ative than hail. For mid-latitude clouds, hail is more
representative. More than 25 transfer processes
between water vapor, liquid and ice particles are
included. These include the growth of ice crystals
by riming, the aggregation of ice crystals, the forma-
tion of graupel and hail, the growth of graupel and hail
by the collection of supercooled rain drops,
the shedding of water drops from hail, the rapid
growth of ice crystals in the presence of supercooled
water, the melting of all forms of ice, and the
deposition and sublimation of ice. Only large rain
droplets, snowandgraupel/hail fall toward the ground
as precipitation.

Table1 Majorhighlightsof cloudmodelingdevelopmentover the

past four decades

1960s Water loading, buoyancy and entrainment

1970s Slab- vs. axis-symmetric models

Cloud seeding

Cloud dynamics and warm rain

1980s Ensemble of cloudsF cumulus parameterization

Cloud interactions and mergers

Ice processes

Squall line

Convective and stratiform clouds

Wind shear and cool pools

Gravity wave and density current

Large-scale and cloud-scale interactions

Cloud–radiation interaction

1990s Super cell dynamics

2D vs. 3D

Land and ocean processes

Multiscale interactions

Cloud chemistry

Process modeling F climate variation implications

GEWEX Cloud System Study (GCSS)

Coupling with microwave radiative model for satellite

cloud retrieval (TRMM)

Water vapor

Cloud
water

Cloud
ice

Snow

Rain Graupel/Hail

Precipitation on ground

Figure 1 Representation of the three-class ice scheme used in

the cloud model.
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Only recently have some cloud-resolving models
adopted a two-moment four-class ice scheme that
combines the main features of the three-class
ice schemes by calculating the mixing ratios of
both graupel and frozen drops/hail. Additional model
variables include the number concentrations of
all ice particles (small ice crystals, snow, graupel,
and frozen drops), as well as the mixing ratios of
liquid water for each of the precipitation ice
species during wet growth and melting for purposes
of accurate active and passive radiometric calcula-
tions.

In addition, explicit bin-microphysical schemes
have been developed for cloud models for the study
of cirrus development and cloud–aerosol interaction.
The formulation of the explicit bin-microphysical
processes is based on solving stochastic kinetic equa-
tions for the size distribution functions of water
droplets (cloud droplets and raindrops), and ice
particles of different habits (columnar, platelike,
dendrites, snowflakes, graupel, and frozen drops).
Each type is described by a special size distribution
function containing over 30 categories (bins). Nucle-
ation (activation) processes are also based on the size
distribution function for cloud condensation nuclei
(also over 30 size categories). Because of the numerous
interactions involved in bin-microphysical schemes,
computational domains are small and simulation
times are short. These detailed microphysics calcula-
tions can provide a useful framework for evaluating
and ultimately improving bulk microphysical
schemes. Of particular interest in this regard is
convectively generated cirrus, which has a major
impact on the radiative properties of the tropical
atmosphere.

Turbulence

While large eddies are resolved in cloudmodels, eddies
much smaller than the grid-scale must be parameter-
ized. An implicit assumption is that the small scales
approximate to an inertial subrange where the energy
spectrum is in statistical equilibrium, with an energy
cascade from the resolved scales to the dissipation
scales. The most sophisticated turbulence parameter-
ization presently use is a third-moment closure.
Typical cloud models used simple k-type (first-order)
turbulence closure or determine the coefficient k,
diagnostically or prognostically, from the turbulence
kinetic energy (TKE) equation (one-and-a-half order).
In the prognostic TKE method, thermodynamic sta-
bility, deformation, shear stability, diffusion, dissipa-
tion and transport of subgrid energy are included. In
the diagnostic method, deformation and stability are
used for computing the k coefficient.

Radiation

Emission and absorption by water vapor and cloud
droplets are represented by two-stream long-wave
radiative transfer schemes. Broadband methods for
long-wave radiation combine the effects of reflection,
emission, and transmission by cloud droplets and air
molecules. The treatment of short-wave radiation is
also based on broadband approximations. One key
issue is how to parameterize cloud optical properties
(optical thickness), especially in the presence of the ice
phase, in view of the important impact of radiative
heating and cooling profiles within clouds. Note that
only limited observations are available upon which to
base parameterizations for ice clouds.

The use of a fully explicit microphysics scheme
(liquid and ice) and a fine horizontal resolution can
provide relatively realistic cloud optical properties,
which are crucial for determining the radiation bud-
gets. With high spatial resolution, each atmospheric
layer is considered either completely cloudy (overcast)
or clear. No partial cloudiness is assumed.

Ocean Surface Fluxes

Two types of surface flux schemes are typically used.
The first is a simple bulk aerodynamic formula where
the transfer coefficients for momentum, sensible heat,
and latent heat fluxes are functions ofwind speed only.
The second type is more complex but, nevertheless,
primarily a bulk approach. The transfer coefficients
for momentum, sensible heat, and latent heat fluxes
are based on theMonin–Obukhov similarity theory of
the atmospheric surface layer. The parameters, such as
the roughness lengths, are closely related to the sea
surface characteristics and the turbulence characteris-
tics. At very low wind speeds the similarity profile is
singular, a problem addressed by adding a convective
velocity to yield nonzero fluxes under windless con-
ditions. The exchange coefficients in the simple bulk
aerodynamic formula method and in the second bulk
flux algorithm differ in two ways. First, in the lower
wind speed regime (less than 4m s�1), the exchange
coefficients in the complex bulk scheme increase with
decreasing wind speed in order to account for the
convective exchange at low wind speeds. Second, the
coefficients in the simple bulk aerodynamic formula
linearly increase with respect to the wind speed, but
decrease if the wind speed is greater that 5m s�1 in the
more complex bulk schemes. These differences in the
exchange coefficients can affect rainfall amounts and
boundary layer structure.

Land Surface Processes

Detailed interactive land surface processmodels of the
heterogeneous land surface (soil and vegetation) and
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adjacent near-surface atmosphere have recently been
applied in cloud models to study the effect of soil
moisture distribution and atmospheric boundary
conditions on cloud structure, rainfall, and soil mois-
ture distribution. A land surface model usually has
three elements: (1) a soil module that includes at least
several water reservoirs (i.e., plant internal storage,
dew/intercepted precipitation, surface material, a
topsoil root layer, a subsoil root layer, and two deeper
layers that regulate seasonal and interannual varia-
bility of the soil hydrology); (2) a surface slab of
vegetation, litter, and other loose material that shades
the soil and acts as the source for sensible heat flux, and
intercepts precipitation and dew; and (3) the surface
layer of the atmosphere (up to the lowest grid level of
the model to which it is coupled), within which the
fluxes of sensible heat and water vapor are calculated.

ModelingTropicalConvectiveSystems

Tropical convection affects the large-scale circulation
of the atmosphere, and in particular atmosphere–
ocean coupling, in important ways. The multiscale
organization of tropical convection is manifested as
cloud streets in the shallow trade-wind convection,
cumulonimbus, cloud clusters, squall lines, tropical
cyclone rainbands, convection in westerly wind bursts
and intraseasonal oscillations, and enhanced convec-
tion in the ITCZ (i.e., the rising branch of the Hadley
circulation) and in planetary-scale Walker circula-
tions. Within the next few decades, computers will be
powerful enough to resolve this entire multiscale
hierarchy, but until this juncture is reachedmany basic
issues need to be addressed, not least in parameter-
ization (e.g., convective organization and its implica-
tions for the basic scale-separation principle).
However, it is important to realize that resolving
convection will not obviate parameterization, but
rather move the problem downscale, (e.g., to the
boundary layer) and make greater demands on the
microphysical parameterizations.

Ensemble Versus Local Convection

Convective cloud models can be broadly categorized
as follows. First, a quasi-statistical approach in which
clouds of different types in various stages of evolution
are simulated in large domains (viz., cumulus ensem-
blemodels or cloud-resolvingmodels). A key objective
is to quantify how convection interacts with the large
scales of motion. Large-scale ‘forcing’, the primary
source of convective available potential energy, can be
derived from an objective analysis of sounding net-
works and applied as domain-mean tendencies of
temperature and moisture (continuously forced con-

vection). This approach has been used extensively in
the west Pacific warm pool region (TOGA COARE)
and the eastern Atlantic region (GATE). In the second
initial-value problem (cf., the classical cloud model),
convective evolution over periods of hours is simulat-
ed and the initiation (or triggering) of convection is the
primary issue: cold pools, surface fluxes, or stochastic
perturbation excite locally forced convection. Such
simulations are very useful for model development,
especially when conducted in conjunction with field
campaigns (e.g., in situ surface-based and aircraft
observations; ground-, aircraft-, and space-based re-
mote sensing) that provide high-resolution data for
model validation. Henceforth, the terms cloud model,
cloud-resolving model, and cumulus ensemble model
will be used interchangeably.

Organization of Convection on Mesoscales

The past few decades have witnessed advances in the
understanding of organized convection, with convec-
tion over the tropical oceans being a focus. Figures 2A
and B show the evolution of numerically simulated
convective cloud systems in the west Pacific warm
pool region and eastern Atlantic region, respectively.
In the former, cloud systems travel in one direction and
embedded convection in the opposite direction. Syn-
optic-scale easterly waves strongly modulate convec-
tion in the easternAtlantic because they strongly affect
environmental shear and large-scale forcing, and
thereby convective organization and intensity. Shal-
low convection evolves to nonsquall (slow-moving)
deep precipitating cloud systems that travel westward,
steered by the mean wind. Fast-moving squall systems
subsequently develop as the lower-tropospheric shear
intensifies. The simulated cloud systems become less
organized and produce less surface precipitation as the
forcing decreases.

The simulated domain-averaged surface rainfall
(mm), and stratiform amount (percentage) for
both the west Pacific warm pool and the east Atlantic
regions are shown in Table 2. The ratios between
evaporation and condensation, sublimation and
deposition, and deposition and condensation illustrate
the relative importance of liquid vs. ice processes
and source and sink terms associated with water
vapor. The microphysical processes are decomposed
according to convective organization: slow-moving,
fast-moving, less organized convective episodes
from the east Atlantic region, vigorous deep convec-
tion and weaker convective events during a westerly
wind burst episode in the western Pacific accompany-
ing the convectively active phase of the intraseasonal
oscillation wherein the stratiform component was
larger. The dominance of warm-rain processes in
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the east Atlantic region squall and nonsquall convec-
tive systems explains the smaller stratiform rain
amounts. The depleted ice processes on 6 and 8
September are indicative of shallow convection. In
contrast, ice processes are important for both active
and relatively inactive convective periods over the
west Pacific.

Figure 3 shows numerically simulated three-dimen-
sional cloud systems over the west Pacific warm pool.
Organized mesoscale convective systems consist
of families of leading-edge, quasi-linear, heavily
precipitating cumulonimbus followed by an extensive
area of trailing light (stratiform) precipitation.
The cumulonimbus slope with height owing to the
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Figure 2 Time-sequence of the two-dimensional cloudmodel estimated domain mean surface rainfall rate (10�3mh�1) for (A) the west

Pacific warm pool region and (B) the east Atlantic region.
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environmental wind shear. Mesoscale descent behind
the leading edge develops mainly at low levels where
evaporative cooling is strongest. Descent occurs above
the mesoscale ascent, typically separated by the 01C
(melting) level. Evaporatively cooled downdraft out-
flows (density currents) provide localized uplift that
triggers convection. Convectively generated gravity
waves occur in the upper troposphere.

How organized convection interacts with large-
scale tropical waves and intraseasonal oscillations is
only beginning to be quantified using multiscale cloud
resolving models. Figure 4 shows a cloud-resolving
model realization of Madden–Julian-like tropical
intraseasonal variability Figure 4A shows an east-
ward-traveling convective envelope, while Figures
4B–D show the westward-traveling organized con-
vective systems embedded in the envelope and steered

by the mean flow. This multiscale organization occurs
evenwith constant sea surface temperature, indicating
that it is self-organizing.

The above modeling studies have quantified many
observed properties of convection and its multiscale
organization. The challenge now is to understand how
this organization affects and is controlled by atmos-
pheric properties, which is a fundamental issue of fluid
dynamics at large.

Heat and Moisture Budgets

The collective effects of convection need to be repre-
sented in parameterizations, rather than structural
details. In this context, the budgets of heat, moisture,
convective mass flux, and convective momentum
transport derived from observations are useful.

Heat andmoisture transports by convection strong-
ly affect the general circulation of the atmosphere.
Transports are estimated from the objective analysis
of sounding networks as thermodynamic budget
residuals F the apparent sources of heat (Q1) and

Table2 Cloudmodel-simulated domain-average surface rainfall

(mm), stratiform amount (percentage), and microphysical pro-

cesses (ratios between evaporation and condensation, sublima-

tion and deposition, and deposition and condensation) for (a) the

west Pacific warm pool region and (b) the east Atlantic region. For

west Pacific warm pool region, the cloud model results are also

separated into subperiods, deep strong convection during 20–23

and 24–25 December and weaker convection prior to, between,

and after the deep convection (19–20, 23–24, and 25–26 Decem-

ber 1992). Slow-moving (nonsquall, 2–4 September), fast-moving

(squall, 4–6 September), and less-organized (6–8 September)

periods for the cloud model-simulated east Atlantic region results

are also shown

(a) West Pacific Warm Pool Region (19–26 December 1992)

After WWB

(2 Days)

Pre and

during

WWB

(4 days)

Total surface rainfall

(mm)

50.8 85.1

Stratiform amount (%) 42.0 48.0

Evaporation/

condensation (%)

62.0 73.0

Sublimation/

deposition (%)

46.0 50.0

Deposition/

condensation (%)

34.0 41.0

(b) East Atlantic Region (2–8 September 1974)

Slow-moving Fast-moving Random

Total surface rainfall

(mm)

43.34 39.62 8.50

Stratiform amount (%) 27.0 26.0 44.0

Evaporation/

condensation (%)

58.0 44.0 68.0

Sublimation/

deposition (%)

36.0 27.0 24.0

Deposition/

condensation (%)

23.0 25.0 9.5
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moisture (Q2). Figure 5A shows that convec-
tive heating has a maximum in the 600–650 hPa layer.
In the stratiform region (Figure 5B), heating is
maximized in the upper troposphere (around
400 hPa), with cooling prevailing below the melting
level. The stratiform heating is smoother because
convective bursts have amore rapid evolution than the
mesoscale processes that dominate in the stratiform
region. Also, stronger heating occurs aloft, and
stronger cooling below in the stratiform region owing
to the evaporation of rain produced by melting ice
particles.

Figures 5C and 5D show the corresponding appar-
ent moisture sinkQ2. Drying in the convective region
is caused by the condensation processes associated
with cloud updrafts, and its maximum is lower than
the apparent heat source. In the stratiform region,
there is strong moistening (by evaporative cooling)
below the 600 hPa level withweak drying aloft. Cloud
models also showed that the eddy transport of heat is
one order smaller than the effects of the microphysical
processes, contrasting with the eddy transport of
moisture, which is of the same order. These distinctive
heating/moistening patterns are consistent with
observed mesoscale convective systems. The small

difference (balance) between the cloud processes
(response/feedback) and large-scale forcing is indica-
tive of the quasi-equilibrium state of the tropical
atmosphere.

Convective Mass Flux

While convective mass flux is an important quantity
in the parameterization of convection in large-
scale models, it is difficult to observe accurately.
Figure 6 shows the 7-day evolution of simulated
cloud mass fluxes (total condensate exceeding
0.1 g kg�1). The larger mass fluxes trace the organized
cloud systems (nonsquall clusters, days 2 and 5;
and squall line, day 4). Evaporative cooling associated
with the downdrafts is about half of the condensatio-
nal heating in the updrafts (Table 2). Convective
updrafts account for approximately 75% of the cloud
updraft mass flux, yet they occupy a mere 12–14% of
the total area; these so-called ‘hot towers’ play a
critical role in the heat and moisture budgets in the
tropics, despite the small fractional area they occupy.
Downdrafts account for about 30% of downdraft
mass flux, suggesting they are active only over
relatively small areas.
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Figure 4 (A) The space–time distribution of surface precipitation from a cloud-resolving 40-day, two-dimensional 20 000 km domain
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Convective Momentum Transport

The vertical transport of momentum by convection
affects the conversion of kinetic energy from sub-grid-
scale eddies to the mean flow, the rate of frictional
dissipation and, therefore, the atmospheric energy
spectrum. However, the large-scale effects of momen-
tum transport are poorly understood. The horizontal
pressure gradient force within cloud systems, which is
the primary quantity affecting momentum transport,
is difficult to measure observationally. Moreover,
the representativeness of measurements is an issue
because the pressure field is a strong function of
convective dynamics. Theoretical models show that
convective momentum transport can either be upgra-
dient,which enhances themean flow, or downgradient
in which case it is a mixing process. The existence of
these (opposing) effects is supported by observations.
Entropy considerations would suggest that, on aver-
age, momentum transport must be downgradient,
with upgradient transport occurring only in special
conditions (e.g., in highly organized squall systems).
However, the strongest momentum fluxes occur in

organized flow. Cloud models are instrumental in
quantifying convective momentum transport and
in deriving a physically based parameterization.

Convectively generated gravity waves affect the
momentum balance of the atmosphere, and are
particularly important in the tropical stratosphere
andmesosphere. Thewave generationmechanism and
its vertical propagation to the deep atmosphere are
being studied using cloud models.

Diurnal Variability of Precipitation

Cloud models have quantified the mechanisms re-
sponsible for the diurnal cycle of precipitation pro-
cesses over the tropical oceans associated with the
diurnal variation of radiation. Variability of rainfall
occurs even if there is no diurnal variation of sea
surface temperature; however, the maximum rainfall
is shifted from nighttime (0200 LST) to early morning
(about 0500 LST). Thus, the diurnal variation of sea
surface temperature modulates the rainfall, but may
play a secondary role in its diurnal variation. Cloud
models also indicate that convection is modulated by
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the diurnal change in available water as a function of
temperature and is responsible for the nighttime
maximum in rainfall. This implies that the increase
(decrease) in surface precipitation associated with
long-wave cooling (solar heating) may be due to an
increase (decrease) in relative humidity. However, the
interaction of radiationwith organized convection can
affect the diurnal variability of rainfall. Well- (less-)
organized cloud systems can have strong (weak)
diurnal variations in rainfall, but ice processes en-
hance the diurnal variation of precipitation.

Prediction of the diurnal cycle of convective precip-
itation has very low skill over land, for reasons not
well understood. The development of the diurnal
evolution of the convective boundary layer, the role of
orography, and the effects of land surface processes are
all involved. Concerning the diurnal cycle of precip-
itation over tropical islands, seabreezes and land-
breezes and their interaction with coastlines and
orography are key mechanisms. Cloud models have
addressed these aspects in considerable detail.

Water and Energy Cycles

Cloud-resolving models are beginning to be used in
studies of the tropical water and energy cycles. In this
context, the models are typically run for several weeks

until the temperature and water vapor fields reach a
quasi-equilibrium state. They can produce different
quasi-equilibrium states (warm and humid versus cold
and dry), even though similar initial thermodynamic
profiles and fixed sea surface temperature are used.
Stronger surface winds tend to produce a warmer and
more humid thermodynamic equilibrium state. The
moist static energy budget further indicates that the
large-scale forcing of water vapor is another process
responsible for warmer and more humid equilibrium
states.

Cloud-resolving models have also been used to
quantify hypotheses relating to global warming. Key
results to date are (1) conversion of ice-phase water
into the vapor phase associated with the dissipation of
upper-level stratiform/cirrus clouds contributes to
upper tropospheric moisture on the same order as
moisture transport from deep convection; (2) cloud
activity is much more sensitive to convergence in the
large-scale atmospheric circulation over an oceanic
warm pool than it is to the local sea surface temper-
ature; and (3) organization of cloud systems can
largely determine the magnitude of upper-level cloud-
iness and moisture profiles. The above conclusions do
not say whether or not global warming is occurring,
only that if cloud processes are neglected or poorly
formulated, the consequences could lead to substan-
tial errors in important climate hypotheses.

Conclusion

Observations together with cloud-resolving models
are a promising approach to developing and testing
representations of cloud processes in numerical
weather prediction models and climate models. Ob-
servations provide both the initial conditions
and model-validation data. Modern cloud models
operate reasonable, albeit not complete, microphysi-
cal parameterizations and simulate the evolution,
structure, and life cycles of cloud systems. They also
explicitly calculate interactions between clouds and
long-wave and solar radiation that are difficult, if not
impossible, to measure observationally.

During the past four decades, cloud models have
advanced from simple process models to full multi-
scale cloud-system simulators that span a dynamic
range of 1 km to planetary scale. They are helping
improve our understanding of the interaction between
convection, radiation and the large-scale environ-
ment. They address basic issues in global and regional
prediction, as well as fundamental problems associat-
ed with the Earth’s water and energy cycles. They
are now being used extensively to develop physi-
cally based parameterizations. Because of the range
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of scales resolved by modern cloud models, space-
based remote sensing is an ever more necessary part of
model validation.

Finally, a new approach is to use cloud-resolving
models in place of traditional cumulus parameterizat-
ions in large-scale models. This explicit approach,
called cloud-resolving convection parameterization or
super-parameterization, alleviates several uncertain-
ties associated with parameterization. Experimental
at present, it has the potential to be viable in
operational prediction models as advances continue
to be made in computer technology and processing
speed.

See also

Air–Sea Interaction: Momentum, Heat and Vapor Flux-
es. Boundary Layers: Modeling and Parameterization.
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Introduction

Convective storms, also commonly referred to as
thunderstorms, produce some of the fiercest weather
on earth, including flooding rains (with rain rates up to
several inches or 100mmh� 1), severe surface winds
(sometimes reachingmagnitudes greater than 100 kn),
hail (reaching the size of grapefruit), frequent light-
ning, and tornadoes. Individual convective cells are
generally observed on scales of 5–30 km, and can have

lifetimes ranging from 30–40min to greater than 6 h.
Furthermore, groups of convective cells can become
organized into larger mesoscale convective systems,
such as squall lines, bow echoes, and mesoscale
convective complexes, which can extend over hun-
dreds of kilometers and, in some cases, can last for
several days.

Convective storms exist under a wide variety of
conditions and evolve in an equally wide variety of
ways. Storm behavior is inherently dependent on the
environment in which the storm grows, including
thermodynamic stability, vertical wind profiles, and
mesoscale forcing influences. In the following, we
review the properties of the most basic storm types,
including the ordinary cell, multicell, and supercell,
and explain the fundamental physical processes that
promote the various storm behaviors. Our knowledge
of convective storms is based largely on extensive
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radar studies (using both conventional and Doppler
radars) as well as numerical cloud modeling studies.
More information on convective storms can also be
obtained from related chapters on lightning, hail,
tornadoes,mesoscale convective systems, bow echoes,
convective storm modeling, and severe weather
forecasting.

Observed Convective Storm Types

The concept of the convective cell is fundamental to a
discussion of convective storms. The convective cell
will be regarded as a region of strong updraft (greater
than 5m s� 1) and associated precipitating downdraft
having a horizontal cross-section of 10–100 km2, and
extending in the vertical through most of the tropo-
sphere. Intense convective cells can have updrafts
greater than 60m s� l, with downdrafts sometimes
greater than 30m s� 1. Research has shown that
convective cells as observed on radar often evolve in
identifiable, repeatable patterns. On the basis of these
radar characteristics, conceptual models have been
proposed for the most commonly observed storm
types. These include the short-lived ordinary cell,
multiple cell systems or ‘multicell’, and supercell.

Ordinary-Cell Storm

The ordinary cell represents the most basic convective
storm type (Figure 1). It consists of a single updraft,
which rises rapidly through the troposphere in a

conditionally unstable atmosphere, producing large
amounts of liquid water and ice. When the raindrops
or ice particles become too heavy for the updraft to
support, they begin to fall, creating a downdraft that
quickly replaces the updraft. The downdraft is initially
nearly saturated, but as it falls into the lower tropo-
sphere and mixes with drier air, strong evaporational
cooling may occur. This cooling accelerates the
downdraft (because of negative buoyancy), which
spreads out horizontally as a cold pool (gust front) on
reaching the surface. If the diverging outflow winds
reach severe levels (greater than about 50 kn),
the event is referred to as a downburst or microburst.
This life cycle (Figure 1) usually takes 30–50min to
complete, and generally severe weather such as high
winds or hail tends to be short-lived. Relatively weak,
short-lived tornadoes do occasionally occur with
ordinary cells, and are sometimes referred to as
landspouts or non-supercell tornadoes.

Multicell Storm

The multicell storm can be thought of as a cluster of
short-livedordinary cells. The cold outflows fromeach
cell, however, combine to form a large gust front, the
convergence and lifting along its leading edge being
generally strongest in the downshear direction relative
to the low-level (0–3 kmagl) vertical wind shear
vector. In most cases, this also happens to be in the
direction of storm motion. This convergence and
lifting can trigger new updraft development along and
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just behind the gust front, and new cells evolve as
described in the previous subsection. Figure 2 shows
this process in a vertical cross-section through a
multicellular hailstorm observed during the National
Hail Research Experiment. The new cell growth often
appears disorganized, but occasionally occurs on a
preferred storm flank. Because of their ability to renew
themselves constantly through new cell growth,multi-
cell storms often last many hours, affecting areas
thousands of square kilometers. If the stormmotion is
very slow, heavy local rainfall may occur, presenting
the possibility of flooding. Severe surface winds in the
form of downbursts or microbursts can occur with
multicell storm systems, with hail and tornadoes also
possible in the vicinity of strong updraft centers.

Supercell Storm

The supercell is potentially the most dangerous con-
vective storm, often producing high winds, large hail,
and long-lived tornadoes. In its purest form it consists
of a single, quasi-steady, rotating updraft and associ-
ated downdraft, which may have a lifetime of several
hours. It often evolves from multicell storm systems,
and even during its quasi-steady phase may comprise

several small-scale rain centers embedded within a
larger encompassing cellular structure. However,
the general structure and evolution of the supercell
suggest that it is dynamically different from ordinary
convection.

A schematic of a supercell is presented in Figure 3.
Unlike ordinary cells or multicell systems, supercells
are often characterized by a persistent separation
between the primary updraft and downdraft currents.
The updraft region is generally found on the upshear
side of the cloud, and is characterized by awell-defined
cloud base with rapidly growing cloud turrets above.
This portion of the storm often exhibits pronounced
cyclonic rotation. The downdraft region is found
primarily downshear of the updraft region, appearing
more diffuse due to the heavy precipitation. The anvil
spreads predominantly downshear aloft, but in strong-
er storms also extends upshear somewhat as the
divergence near the storm top is able to force itself
upstream against the strong upper-level flow. Over-
shooting tops are quite common for the stronger
storms. Many supercells also display a stair-step-
shaped flanking line extending upshear from the
storm’s main updraft region. A persistent lowering of
the cloud base, referred to as a wall cloud, is also often
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observed beneath the main updraft region of the
storm, and is often a precursor to the development of
tornadoes.

The structure of a mature supercell as it might
be observed on radar is depicted in Figure 4. The
reflectivity field tends to be elongated in the direction
of the mean vertical wind shear, with a hooklike
appendage often appearing on the south-west flank of
the storm. The midlevel reflectivity often overhangs
the low-level echo, and often a bounded weak echo
region (BWER) appears at middle levels above the
edge of the low-level reflectivity gradient. A BWER
usually indicates the presence of both strong up-
draft and strong rotation about a vertical axis in its
vicinity.

Figure 5 presents the significant surface features
commonlyobservedduring a supercell’smature phase.
The main updraft region is found straddling the hook
or notch in the rain field, with two primary downdraft
regions, referred to the forward flank downdraft
and rear flank downdraft, located on the downshear
and upshear sides of the updraft, respectively. A
surface gust front separates the cool, rainy air from
the warm ambient air, with the gust front often
wrapped around the southern flank of the stormdue to
the circulation associated with a surface mesocyclone.
This rear flank gust front can overtake the gust frontal
boundary associated with the forward flank down-
draft, creating an occlusion of these frontal features. A
tornado, if present, often forms at the tip of this
occlusion (on the edge of the hook echo) on the
gradient between updraft and downdraft (but within
the updraft).

A time series of radar reflectivity structure for a
storm that occurred on 19 April 1972 near Norman,
OK (Figure 6) portrays a commonly observed trait of
supercell storms. About 1 h into the storm’s lifetime,
the rain center appears to split into two diverging echo
masses: the more intense southern storm veers to the
right and slows its motion, while the northern storm
moves more quickly to the north-east. Such storm
splitting is common in association with supercell
storms. The right mover (right relative to the direction
of the ambient shear vector) is associated with a
cyclonically rotating updraft while the left mover is
associated with an anticyclonically rotating updraft.
Both right and left movers of a splitting storm are apt
to produce severeweather such as hail and highwinds,
but tornadoes are rarely associated with left-moving
storms.

Physical Mechanisms Controlling
Convective Storm Growth and
Evolution

Convective storm type and severity are strongly
dependent on the environmental conditions in which
the storm grows. Of particular importance is the
thermodynamic instability (buoyancy) and vertical
wind shear. Thermodynamic instability exerts a fun-
damental control on convective storm strength, as it
controls the vertical acceleration of air parcels. Verti-
cal wind shear, however, influences strongly the form
that the convection might take, i.e., whether
the convection evolves as short-lived ordinary cells,
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multicells, or supercells. In the following, we review
the basic physical processes that contribute to thewide
spectrum of observed convective storm properties.

Buoyancy Effects

Convective storms differ dynamically from larger-
scale atmospheric phenomena primarily due to the

much stronger vertical accelerations and resul-
ting vertical motions (both upward and downward)
that are produced. Thus, the most fundamental
equation relevant to convective storm dynamics is
the non-hydrostatic vertical momentum equation:

dw

dt
¼ �Cp

�yyv
qp
qz

þ B ½1�

where p is a nondimensional form of the pressure,
referred to as the Exner function,

p � p

p0

� �Rd=Cp

½2�
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and B is the buoyancy, including the effects of water
vapor and precipitation loading:

B � g
y0

�yy
þ 0:61 qv � �qqvð Þ � qc � qr

� �
½3�

In these equations, Cp represents the specific heat at
constant pressure, p0 is a reference surface pressure,

Rd is gas constant for dry air, y represents the potential
temperature, qv represents the water vapor mixing
ratio, and qc, qr, and qi represent cloud water,
rainwater, and ice mixing ratios, respectively.

For anundisturbed environment (e.g., characterized
by no variation of wind with height), the pressure
contributions to vertical accelerations are usually very
small relative to the buoyancy contributions, and are
neglected. Under this assumption, an estimate of
potential updraft (and downdraft) strength in a
convective storm is often made by integrating the
potential temperature contributions from buoyancy
along a representative parcel path. For an updraft
parcel, this quantity is referred to as the convective
available potential energy (CAPE):

CAPE ¼
Z EL

LFC

g
y0 zð Þ
�yy zð Þ

� �
dz ½4�

where y0 zð Þdefines the potential temperature of a
representative adiabatically ascending surface parcel,
�yy zð Þ defines the environmental potential temperature
profile, and the integral is taken over the vertical
interval where the lifted parcel is warmer than its
environment (usually from the level of free convection,
LFC, to the equilibrium level, EL). This calculation is
equivalent to evaluating the positive area represented
on a skew-T diagram. Maximum potential tempera-
ture excesses in convective updrafts can be greater
than 10K, with magnitudes of CAPE larger than
6000m2 s� 2, but generally potential temperature
excesses range between 3 and 6K, with CAPEs of
1500 and 2500m2 s� 2 for moderately unstable con-
vective days. A similar quantity can be calculated for
downdraft parcels, and is referred to as DCAPE
(downdraft CAPE).

By equating this CAPE (DCAPE) to vertical kinetic
energy, one can then estimate the maximum updraft
(downdraft) that would be expected from a given
environment:

Wmax ¼ 2�CAPEð Þ1=2 ½5�

Using this relationship, a CAPE of 2500m2 s� 2would
translate to a maximum possible updraft strength of
70m s�1. However, water loading, perturbed vertical
pressure gradients, and mixing effects reduce these
estimates by roughly 50%. Vertical motions of
60m s�1 or greater have been observed in the strong-
est storm updrafts, but maximum downdrafts rarely
exceed 30m s�1.

Vertical Wind Shear Effects

While the thermodynamic structure influences
strongly the vertical accelerations in a convective
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storm, vertical wind shear has a strong influence on
what form convectionmight take. In particular, short-
lived ordinary cells tend to be the preferred mode of
organization in weak wind shear regimes, while
multicells and supercells become the respective pre-
ferred mode of organization for increasing magnitude
of vertical wind shear.

The characteristics of the wind profile in this regard
are best represented in the fromof a hodograph,where
the wind vectors at each height are plotted from
the origin, and then the tips of the vectors are
connected to produce a hodograph trace (Figure 7).
Vertical wind shear vectors are everywhere tangent
to this hodograph trace, with the length of
the hodograph curve over a given depth being a direct
measure of the magnitude of the wind shear over that
depth.

The relationship between wind shear and basic
storm type is demonstrated in Figure 8, which depicts
composite hodographs from a study of hailstorms in
Alberta, showing an increasing length of the hodo-
graph (especially over the lowest 6 km agl) as the type
of convection progresses from short-lived storms to
supercells. Generally, multicell storms become more
prevalent when the length of the hodograph over the
lowest 4–6 km agl is greater than 10–15m s� 1, with
supercells becoming more prevalent when the length
of the hodograph is greater than 20–25m s� 1 over the
lowest 4–6 km agl. Also included on the hodograph
plots are observed cell motions. For ordinary cells and
multiple-cell systems, cell motion tends to be with the
mean wind over the lower 6–8 km of the profile,
appearing on or near the hodograph trace. For the
supercell, however, cell motion is well off the hodo-

graph,well to the right of a calculatedmeanwind from
the profile. Similar off-hodograph propagation is
evident for the 19 April splitting storm (Figure 6),
and reflects the unique dynamical character of super-
cell storms, as will be described below.

Two physical mechanisms help explain the organ-
izational capacity of vertical wind shear. The first is
related to the ability of a cold pool to trigger new
convective cells. The second is related to the interac-
tion of an updraft with the environmental vertical
wind shear to produce an enhanced, quasi-steady
storm structure.
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(i)ColdPool–Shear Interactions: Cold pools are one
of the most prominent features of convective storms,
and have a critical role in determiningwhether a storm
system can be maintained over a long period of time.
This is due primarily to the ability of the cold pool to
lift the surrounding air mass, thus serving potentially
as a trigger for new convective cells. For a zero wind
shear environment, the lifting along the leading edgeof
a cold pool is generally restricted to the depth of the
cold pool’s nose, as the circulation generated by the
cold pool rapidly drags the lifted air rearwards. If the
LFC is significantly higher than the nose of the cold
pool, then it is unlikely that new cells can be triggered
as the cold pool propagates away from a given cell
(e.g., Figure 9A).

This picture changes significantly with the addition
of environmental low-level vertical wind shear. Asso-
ciated with this vertical wind shear is an opposing
circulation that can balance the circulation of the cold
pool somewhat on its downshear side, producing a
more vertically oriented jet of air and deeper lifting at
its leading edge (e.g., Figure 9B). An ‘optimal’ state for
lifting along the cold pool can be envisioned when the
circulation generated by the cold pool matches the
opposite circulation associated with the environmen-
tal vertical wind shear. The depth/layer of vertical
wind shear most important to this process is equiva-
lent to the depth of the cold pool itself, but deeper
shear layers will also contribute somewhat to this
process. Ambient shear can further enhance the
strength of new cells by virtue of the fact that such
cells will move downshear along with the cold pool,
increasing both the relative inflow into these cells and
the time over which the cells maintain their low-level
convergence and feed on the warm air ahead of the
gust front. All in all, the strength and longevity of
multiple-cell convective systems is enhanced for
increasing magnitudes of ambient vertical wind shear,

due primarily to the enhanced ability of the cold pool
to trigger new cells.

(ii)Updraft–Shear Interactions: Vertical wind shear
can further contribute to convective storm strength,
organization, and sustenance through the interaction
of the shearedflowwith the convective updrafts. These
effects can be both positive and negative. The negative
effects are most clearly evident during the early stages
of a storm’s life, as clouds are observed to lean over in
the direction of the mean tropospheric shear vector.
This process takes vertical kinetic energy out of
the accelerating buoyant plume, converting it to
horizontal kinetic energy. If the shear is too strong
relative to the buoyancy, a cloud can be literally torn
apart.

The positive attributes of the shear are most clearly
associated with the development of rotation about a
vertical axis within the storm. This rotation originates
through the tilting of horizontal vorticity inherent in
the vertically sheared flow, as can be shown from the
vertical vorticity equation:

dz
dt

¼ xH � rHwþ z
qw
qz

½6�

where xH and z represent the horizontal and vertical
components of vorticity, respectively. This process
is visualized in Figure 10A, for an isolated up-
draft developing in a unidirectionally sheared flow.
The updraft initially deforms the ambient vortex
lines upwards, leading to the development of a
vortex couplet at midlevels, centered on the up-
draft. Cyclonic vorticity is generated on the right flank
of the updraft (relative to the direction of the shear
vector), with anticyclonic vertical vorticity on the left
flank.

The main impact of this rotation on storm structure
occurs through the relationship between the velocity

(A) (B)

Figure 9 Schematics of cold pool–shear interactions. (A) A convective cell in a zero-shear environment produces a cold pool that

propagates away from thecell.Without thepresenceof low-level shear, the circulation of the spreadingcold pool inhibits deep lifting, and is

less apt to trigger a new convective cell. (B) The presence of low-level shear counteracts the circulation of the cold pool on the downshear

side, promotingdeeper lifting and anenhancedpotential to trigger newconvective cells. (Adaptedwith permission fromRotunnoR,Klemp

JB, and Weisman ML (1988) A theory for strong, long-lived squall lines. Journal of the Atmospheric Sciences 45: 463–485.)
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field and the pressure field. In particular, the localized
development of rotation in a fluid is associated
with lowered pressures (e.g., consider what happens
when you stir a cup of coffee). For convective scales
of motion, this lowering of pressure occurs whether
the rotation is cyclonic or anticyclonic. If the resulting
rotation at midlevels in a storm is sufficiently strong
(e.g., if the storm is developing in a sufficiently
sheared environment), the induced pressure deficits
at midlevels will produce a significant upward-direct-
ed vertical pressure gradient force that will force the

updraft to propagate to both flanks of the original
cell.

Once the updrafts propagate to the flanks (Figure
10B), they become more colocated with the midlevel
rotation centers, which are then further enhanced by
vortex stretching. The vortex tilting process continues
to generate new rotation on the flanks of the storm,
and the updrafts will continue to propagate towards
these midlevel rotational centers. Thus, the original
cell splits into mirror image cyclonic and anticyclonic
storms that propagate to the right and left of the shear
vector, respectively. This is the most basic process
by which supercell storms may be generated and
sustained.

The relationship between the velocity and pressure
fields in a convective storm can be derived by taking
the divergence of the momentum equations, assuming
incompressibility, which leads to the follow-
ing Poisson equation for the nondimensional
pressure, p:

r � Cp�rr�yyvrp
� � ¼ �r � �rrv � rvð Þ þ qB

qz
½7�

This equation can be solved for the contributions
to the perturbation pressure field from the velocity
and buoyancy terms on the right-hand side of
eqn [7] individually, allowing the vertical momentum
equation [1] to be rewritten to reflect the contribu-
tions from velocity-related pressure perturbations
and buoyancy-related processes individually
as well:

dw

dt
¼ �Cp

�yyv
qpdn
qz

þ �Cp
�yyv

qpb
qz

þ B

� �
½8�

The first term on the right-hand side of eqn [8] is
referred to as the dynamic contribution to vertical
acceleration, and includes all the effects of shear on an
updraft, such as the initial tendencies for a cell to lean
in the direction of the shear as well as the positive
influences due to the development of rotation. The
second term on the right-hand side of eqn [8] includes
the usual effects of buoyancy as well as the compen-
sating effects due to the buoyant contributions to
the pressure field. For ordinary convective cells,
which develop in weakly sheared environments, the
buoyancy terms generally contribute 60–70% of the
maximum updraft strength in a storm. However, the
supercell storms, which develop in strongly sheared
environments, 60–70% of the maximum updraft
strength can come from the dynamic contributions,
with most of this contribution coming in the lowest
several kilometers of the storm. This explains why
supercell storms can be unusually strong, and can
persist, sometimes even in the presence of significant

Figure 10 Schematic depicting how a typical vortex tube

contained within (westerly) environmental shear is deformed as it

interacts with a convective cell (viewed from the south-east).

Cylindrical arrows show the direction of cloud-relative airflow, and

heavy solid lines represent vortex lines with the sense of rotation

indicated by circular arrows. Shaded arrows represent the forcing

influences that promotenewupdraft anddowndraft growth.Vertical

dashed linesdenote regionsof precipitation. (A) Initial stage: vortex

tube loops into thevertical as it is swept into theupdraft. (B)Splitting

stage: downdraft forming between the splitting updraft cells tilts

vortex tubes downward, producing two vortex pairs. A new updraft

is forced on the flanks of the splitting cell in response to upward-

directed vertical pressure gradient forcing associated with the

midlevel rotation. The barbed line at the surface marks the

boundary of the cold air spreading out beneath the storm.

(Reproduced with permission from Klemp JB (1987) Dynamics of

tornadic thunderstorms. Annual Reviews of Fluid Mechanics 19:

369–402.)
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low-level capping inversions, as are generally observed
at night.

The updraft–shear interaction processes described
above are symmetric about the ambient shear vector
for unidirectionally sheared environments (e.g., shear
environments characterized by a straight line on a
hodograph). In such cases, mirror image supercells
propagating off the hodograph to the right and left of
the shear vector can be produced, as demonstrated in
idealized cloud model simulations presented in Figure
11A. This symmetry is modified, however, by the
addition of directional shear to the environment. If the
environmental vertical wind shear vector turns clock-
wise with height over the lowest few kilometers agl
(referred to as a clockwise curved hodograph), as
presented in Figure 11B, the pressure forcing is
enhanced on the cyclonic flank of the original cell,
and a dominant cyclonically rotating supercell results
from the original splitting process. However, if the
environmental verticalwind shear turns counterclock-
wise with height (not shown), the anticyclonic mem-
ber of the original split would have been favored
instead. Climatologically, environmental hodographs
in the vicinity of supercell storms exhibit cyclonic
turning of the shear vector at low levels (e.g., consider
the hodographs in Figures 7 and 8C), and thus
cyclonically rotating supercells tend to be more
common and dominant than anticyclonically rotating
supercells.

Figure 12 presents the overall flow structure
for a mature, cyclonically rotating supercell storm.
An anticyclonically rotating supercell is the mirror
image of this. The flow vectors depict the main
interwoven airstreams, with the low-level flow con-
verging fromboth ahead andbehindof the surface gust
front and rising into a deep, rotating updraft, and
the midlevel flow passing in front of and then
descending behind the updraft. The updraft reaches
the top of the storm, where it then diverges within
the anvil, primarily in the downshear direction. While
the midlevel rotation in the storm is generated via the
tilting of horizontal vorticity associated with
the warm, ambient environment (e.g., Figure 10A),
the air that feeds the low-level rotation originates
largely from the cold side of the surface cold
pool boundary. Horizontal vorticity is generated
in response to the buoyancy gradients across
this boundary, as depicted by the low-level vortex
lines turning towards the storm on the cold side of
the forward flank gust front, and this horizontal
vorticity feeds into the low-level updraft in a stream-
wise sense, leading to the low-level updraft rotation.
It is this low-level, rotating updraft that leads to the
development of significant tornadoes within supercell
storms.

Summary

For convective storms, cold pool generated lifting and
dynamic pressure forcing work together to produce
the observed storm characteristics. The relative
importance of each mechanism is dependent on the
characteristics of the thermodynamic profile as well as
the vertical wind shear profile of the environment in
which the storm grows. A convective system may be
composed of both ordinary cells and supercells simul-
taneously, while maintaining a general multicell char-
acter. Storm types also have a tendency to change
during the lifetime of an event. For instance, an
isolated supercell will often evolve into a more
multicellular line of ordinary cells over time as the
storm generated cold pool and associated lifting
becomes stronger and begins to dominate over the
dynamic lifting effects associated with the rotating
updraft. In such cases, a supercell is said to have
‘gusted out’ or ‘lined out’. Convective storms also
change character as they move into a different meso-
scale environment, or when they interact with each
other, as within a squall line.

While convective updraft characteristics can gener-
ally be anticipated quite well from environmental
thermodynamic and shear profiles, potential down-
draft and resulting cold pool characteristics are much
more difficult to gauge from environmental condi-
tions. The storm-generated downdraft and cold pool is
certainly sensitive to the amount of thermodynamic
instability and the distribution of moisture in the
environment, but it is also sensitive to the character-
istics of the precipitation that is produced within the
storm. For instance, a convective cloud that predom-
inantly produces a few large raindrops or hailstones
will tend to have a weaker downdraft and cold
pool than a cloud that produces a large quantity of
smaller drops, due to decreased evaporation rates.
Along these lines, supercell storms have been subclas-
sified into high-precipitation (HP), classic, and low-
precipitation (LP) varieties, based on intensity and
distribution of the precipitation and the resulting
strength of the system-generated cold pool. Many of
these factors are discussed in companion chapters
within this volume.

Climatology of Convective Storm
Types

Ordinary cell and multicell storm systems are com-
monly observed from the tropics through midlati-
tudes, whenever thermodynamic instability exists and
there is a sufficient triggering mechanism for the
convection. Supercell storms, however, tend to be
more limited to midlatitude, continental regions,
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where sufficient vertical wind shear can exist in
association with thermodynamic instability. Supercell
storms are especially prevalent in the spring and early
summer in the plains and mid-western regions of the
United States, where the Gulf of Mexico supplies a

source of low-level moisture to enhance thermody-
namic instability, and the frequent passage of synop-
tic-scale waves offers a source for the vertical wind
shear. The frequency of supercell storms and the
associated tornadoes in this part of the United States
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Figure 11 Plan views of numerically simulated convective storms at 40, 80, and 120min for two environmental wind profiles (displayed

at the upper left) having wind shear between the surface and 7.5 km agl. The storm system in the lower portion of the figure evolves in

response to thewindprofile forwhich theverticalwindshear vector turnsclockwisewithheight between thegroundand2.5 km(heavysolid

line in the hodograph), while the upper system develops when the shear is unidirectional (same wind profile except follow the heavy

dashed line below 2.5 km). The plan view depicts the low-level (1.8 km) rainwater field (similar to radar reflectivity) contoured at 2 g kg� 1

intervals, themidlevel (4.6 km) updraft (shaded regions), and the location of the surface cold pool boundary (barbed lines). Themaximum

updraft velocity is labeled (inms� 1) within eachupdraft at each time. Thedashed lines track thepath of eachupdraft center. Arrowson the

hodograph indicate the supercell propagation velocities for the unidirectional (dashed) and turning (solid) wind shear profiles.

(Reproduced with permission from Klemp JB (1987) Dynamics of tornadic thunderstorms. Annual Reviews of Fluid Mechanics 19:

369–402.)

558 CONVECTIVE STORMS / Overview



has led to this region being referred to as ‘Tornado
Alley.’

Supercell storms can also be embedded within the
rain bands of landfalling tropical storms and hurri-
canes. These supercells tend to be shallower thanmore
classic supercells, as minimal instability (CAPE less
than 1000 J kg�1) is available within the associated
tropical air mass. However, very strong low-level
vertical wind shears are generated as the rain bands
come ashore, and very intense (of order 10m s� l)
updrafts can be generated in the lowest 1–2 kmagl in
such cells, due to the dynamic vertical pressure
gradients associated with the rotating updrafts. Such
shallow supercells are hypothesized to be the source of
tornado outbreaks within landfalling tropical storms
and hurricanes.

In the midlatitudes, convection often occurs in the
warm sectors of synoptic-scale waves, in association
with cold fronts and warm fronts. In the tropics,
convective activity is commonly located along the
intertropical convergence zone (ITCZ). In both the
tropics and midlatitudes, convection also commonly
occurs along sea breeze fronts or in association with
topographic features such as mountain ridges. Gener-
ally, oceanic convection tends to be weaker than

continental convection, due to less thermodynamic
instability over oceanic regions. Convective storms
can occur at any time of the day or night, when
thermodynamic instability and a trigger is available,
but severe convection tends to maximize in the late
afternoon and evening hours, in response to the
enhanced thermodynamic instability associated with
diurnal heating.

See also

Bow Echos and Derecho. Convective Storms: Con-
vective Initiation. Density Currents. Gust Fronts. Hail
and Hailstorms. Mesoscale Meteorology: Cloud and
Precipitation Bands. Tornados.Waterspouts.Weather
Prediction: Severe Weather Forecasting.
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Figure 12 Three-dimensional schematic view of a mature

supercell thunderstorm at a stage when low-level rotation is

intensifying. The storm, viewed from the south-east, is evolving in

westerly environmental wind shear. The cylindrical arrows depict

the flow in and around the storm. The thick lines show the low-level

vortex lines, with the sense of rotation indicated by the circular-

ribbon arrows. The heavy barbed line marks the boundary of the

cold air beneath the storm. (Reproduced with permission from

Klemp JB (1987) Dynamics of tornadic thunderstorms. Annual

Reviews of Fluid Mechanics 19: 369–402.)
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Introduction

Moist convection, which we define as precipitating
convection that spans a significant depth of
the troposphere, is a phenomenon that can occur
almost anywhere on Earth. Moist convection (here-
after referred to simply as convection) ismost common
over warm, tropical oceanic regions and over conti-
nental regions that extend from the Tropics into the
mid-latitudes, and assumes a variety of different
organizations, ranging from individual B1–10 km
horizontal scale cumulonimbus clouds to B1000 km
horizontal scale mesoscale convective systems
(MCSs). Convection affects the atmosphere on a
multitude of scales, which range from that of the local
surface weather, through heavy rains and occasionally
damaging winds, to that of the global circulation,
through its aggregate effects on radiation and fluxes of
heat, moisture, and momentum.

One of the most difficult aspects of convection to
treat theoretically is its initiation. This is due to the
many atmospheric processes of varying scales that
influence both the vertical thermodynamic structure in
which convection occurs and how it is initiated. The
background density stratification of the atmosphere
tends to resist the vertical displacements that give rise
to convection. However, over broad geographical
regions the atmosphere is susceptible to convection,
given localized upward displacements that are suffi-
cient to allow air to become saturated with respect to
water vapor, and ultimately less dense than its
surroundings.

In the following, we discuss the thermodynamic
vertical structure of the atmosphere and how its ability
to support convection may be assessed. We also
examine different ways by which the thermodynamic
vertical structure can evolve, and thereby allow or
prohibit the development of convection. Owing to the
vertical stability of the background atmospheric state,
the initiation and sustenance of long-lived systems
of multiple convective storms typically requires or-
ganized vertical motion in the environment. We
will review various lifting mechanisms, which vary
widely in character from shallow short-lived circula-
tions of limited horizontal scale that are confined
within the heated planetary boundary layer (PBL) to
the relatively weak, but persistent, larger-scale ascent

that occurs through deep tropospheric layers within
mid-latitude cyclones.

Assessment of Vertical Stability

Air Parcels and Conditional Instability

The vertical stability of the atmosphere, and hence
its ability to support convection, is often analyzed
using the assumptions of the parcel theory. Parcel
theory assumes that vertically displaced air does
not exchange mass with its surroundings, and instan-
taneously adjusts to the pressure of the surrounding
atmosphere. An air parcel, which may contain water
vapor but is initially subsaturated, is also assumed
to exchange no heat with its surroundings during
its vertical displacement. If displaced upward, the
air parcel will cool at the dry adiabatic lapse
rate Gd � �dTp=dz ¼ g=cp � 10Kkm�1, where Tp is
the air parcel’s temperature,�g is the acceleration due
to gravity, and cp is the specific heat at constant
pressure.

When an air parcel is given a vertical displacement,
its direction of subsequent vertical acceleration de-
pends upon its buoyancy, given by eqn [1].

B ¼ g
yvp zð Þ � yv zð Þ� �

yv zð Þ ½1�

In eqn [1], yvp zð Þ is the virtual potential temperature
of the air parcel (see Thermodynamics: Moist (Un-
saturated) Air) and yv zð Þ is the virtual potential
temperature of the environment. In the statically
stable atmosphere G � �qT=qzoGdð Þ, an air parcel
that remains subsaturated during its vertical displace-
ment will become negatively (positively) buoyant
if displaced upward (downward) from its original
position and will thus tend to return to its original
position.

Since the air parcel conserves its mixing ratio q, if
it is given a sufficient upward displacement it will
eventually become saturated as a result of its adiabatic
cooling. The level at which this occurs is referred to as
either the lifting condensation level (LCL) or the
convective condensation level (CCL), depending on
whether the parcel displacement results frommechan-
ical lifting or turbulent circulations forced by surface
heating, respectively. Once saturated, the ascending
air parcel cools less rapidly, owing to latent heat
release from condensation. Parcel theory predicts that
the saturated air parcel cools at the moist adiabatic
lapse rate, Gs (see Thermodynamics: Saturated
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Adiabatic Processes), which ranges from B4Kkm�1

for warm conditions in the lower troposphere to close
to Gd � 10Kkm�1 near the tropopause.

When the lapse rate of an atmospheric layer falls
between that of Gd and Gs, the layer is conditionally
unstable. The instability is conditional in the sense that
upward vertical displacement must be sufficient to
saturate the air parcel, whereby its reduced rate of
cooling upon subsequent ascent would allow it even-
tually to become positively buoyant.

Figure 1 presents examples of conditionally unsta-
ble atmospheric soundings that are representative of
conditions that can occur over the central United
States during the warm season (Figure 1A) and over a
tropical oceanic region (Figure 1B), where the season-
al variations in temperature are less. In these diagrams,
ascent curves, based on the assumptions of parcel
theory, are plotted for the most conditionally unstable
air, which is situated within the PBL for each case.
Because of the lower relative humidity in the mid-
latitude PBL, air from within its lowest 50 hPa must
rise a significantly greater distance to reach the LCL
than in the tropical case. Moreover, a 75 hPa deep
stable layer surmounts the PBL in themid-latitude case
(Figure 1A). These two conditions necessitate much
deeper lifting for this air (Figure 1A) to reach its level of
free convection (LFC), where the air parcel becomes
warmer than the environment (and hence positively
buoyant) than in the tropical case (Figure 1B).
However, the environmental lapse rate, G, within the
mid-troposphere is considerably larger in the mid-
latitude case (Figure 1A) than in the tropical case
(Figure 1B), where it is close to Gs (moist adiabatic).
This results in significantly greater maximum parcel
buoyancy [1] in the mid-latitude case, where the bold
gray curves in Figure 1 indicate a greater maximum
parcel temperature excess over its environment, which
also implies a greater virtual potential temperature
excess, since yv ¼ y 1þ 0:61qð Þ.

Convective Available Potential Energy

Ausefulmeasure of themaximumpossible intensity of
convection is the convective available potential
energy, CAPE, given by eqn [2].

CAPE ¼
Z LNB

LFC

B dz ½2�

CAPE is the parcel buoyancy, B, vertically integrated
between the LFC (Figure 1) and the level of neutral
buoyancy (LNB), at which the parcel ceases to have a
virtual potential temperature excess over that of the
environment (Figure 1), and thus decelerates vertical-
ly. The maximum vertical velocity an air parcel may

achieve, wmax, may be estimated by substituting the
form of the vertical momentum equation derived from
parcel theory, dwp=dt ¼ wp dwp=dz

� � ¼ B, into eqn
[2] and taking the square root, which yields
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Figure 1 Skew T–log P diagrams for conditionally unstable (A)

warm-season continental midlatitude and (B) oceanic tropical

environments. The solid black curves indicate environmental

temperature (right) and dewpoint (left), whereas the heavy gray

curve represents the hypothetical temperature of an ascending air

parcel whose initial mixing ratio and potential temperature are

averages of these environmental quantities in the lowest 50 hPa.

Note that the parcel ascends alonga dry adiabat (constant y) below
its LCL (see text for explanation), and along a moist adiabat

(constant yw) above its LCL (see text for explanation). Locations of

positive CAPE, where parcel temperature excess occurs between

the LFC and LNB (see text for explanation), and CIN, where parcel

temperature deficit occurs beneath the LFC (see text for explana-

tion) are indicatedbyarrows.Theplot background consists of thep

5 1000, 800, 600, 400, 200, and 100hPa isobars (thin horizontal

lines), T 5 �100, �60, � 20, and 201C isotherms (451 skewed
thin solid lines), q 5 1, 5, and 20g kg� 1 isohumes (long-dashed

lines), yw ¼ 16�Cand281Cmoist adiabats (medium-dashed lines),

and the y ¼ 310K dry adiabat or isentrope (dotted pattern).
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wmax � wp z ¼ LNBð Þ ¼ 2CAPEð Þ0:5. For the CAPE
of 2750m2 s2 in the example mid-latitude sounding
(Figure 1A), wmax � 74m s�1, whereas, for the CAPE
of 1000m2 s2 in the tropical sounding (Figure 1B),
wmax � 45m s�1. Note however, thatwmax represents
only an approximate upper bound on the actual
maximum vertical velocities. Typically, downward-
directed pressure gradient forces, and negative contri-
butions to the buoyancy that result from condensate in
updrafts and entrainment of environmental air (each
of which are neglected by parcel theory), significantly
reduce the vertical velocities. Parcel theory will most
significantly overestimate wmax for soundings resem-
bling the tropical case (Figure 1B), since entrainment
and condensate loading generally have a greater
percentage effect on smaller parcel buoyancies.

On the skew-T diagram of Figure 1, the CAPE is
proportional to the area between the parcel ascent
curve and environmental temperature curve between
the LFC and LNB. Thus, for a given environmental
vertical profile of temperature or potential tempera-
ture, the CAPE has a unique dependence on the moist
adiabat along which the positively buoyant air parcel
ascends. The moist static energy, h ¼ gzþ cpT þ Lq,
is conserved along a moist adiabat. Thus, since cp is a
constant and L has only a weak dependence on T,
equivalence of the thermal andmoisture contributions
to CAPE may easily be established. For example, a
moisture increment of Dq ¼ 1 g kg�1 has the same
approximate effect on CAPE as a temperature incre-
ment of DT ¼ 2:5K.

Convective Inhibition

Although the CAPE provides a measure of how strong
convection can become, it provides no guidance on
whether it will actually occur. Indeed, expansive
regions may have positive CAPE, but the areas
experiencing convection at any given time are consid-
erably smaller. This is because there is usually an
energy barrier that has to be overcome before convec-
tion can occur. This energy barrier, referred to as the
convective inhibition (CIN), corresponds to the neg-
ative area on the skew-T diagram beneath the LFC
(Figure 1), and represents the work needed to be done
on the conditionally unstable air parcel for it to reach
its LFC. Thus, provided CAPE exists, CIN is the
quantity most critical to convective initiation.

The analysis of how CIN is influenced by the
thermal andmoisture characteristics of an air parcel is
more complicated than for CAPE, since CIN does not
depend uniquely on the moist static energy of the air
parcel. The sensitivity of CIN to changes in temper-
ature and moisture depends on the details of the
sounding. For the simple (but frequently observed)

case of a well-mixed PBL within which y and q are
approximately constant, a temperature change of DT
will have a greater effect on the CIN than a mixing
ratio change of Dq that corresponds to the same
increment of moist static energy Dh. This dependence
of CIN on temperature and moisture is illustrated
schematically in Figure 2. Since the moist adiabat
along which the air parcel (once saturated) will ascend
is the same for equivalent changes in temperature or
moisture, the greater sensitivity of CIN to changes in
temperature results from the additional changes in
CIN for the unsaturated portion of the lifting (com-
pare Figures 2B and 2C).

Returning to the example soundings from different
geographical regions, we find that, despite having a
greater CAPE than the tropical sounding, and thus a
greater potential for intense convection, the mid-
latitude sounding has a significantly larger CIN of
110m2 s2 (Figure 1A) versus 10m2 s2 for the tropical
sounding (Figure 1B). It is not unusual for the most
conditionally unstable soundings to have substantial
amounts of CIN, for it is the energy barrier to
convection that is often largely responsible in allowing
large values of CAPE to develop and persist.

In the absence of persistent forcing, an initial
vertical velocity of w ¼ 2CINð Þ0:5 is required to
displace an unsaturated air parcel to its LFC. For the
CIN of 110m2 s2 in the example mid-latitude sound-
ing (Figure 1A), this vertically velocity is
w � 15m s�1. Vertical velocities of this magnitude
are rarely observed outside of convection, which
underscores the necessity of mechanism(s) that reduce
theCINprior to the development of convection. These
factors are explored in some detail in subsequent
sections.

Potential Instability and Equivalent Potential
Temperature

So far, we have considered the susceptibility to
convection when idealized parcels of air undergo
vertical displacements in a subsaturated environment.
The theory of conditional instability of air parcels
makes no assumptions on the evolution of the vertical
structure of the atmosphere and, by itself, may bemost
germane to the development of convection over
localized regions, where either the CIN has been
diminished and/or there exists strong forcing that is
capable of displacing initially subsaturated air to its
LFC. However, there are situations in which convec-
tion can develop simultaneously over broad (e.g.,
B100–500 km) regions as a result of the widespread
lifting of deep atmospheric layers. The development of
convection under these cicumstances may be best
described using the concept of potential instability. In
an environment that is potentially unstable, it may be
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possible, through lifting, to create layers that are
saturated and also have lapse rates greater than Gs,
regardless of the initial thermal stratification of the
layer. When this occurs, convection may erupt from
within the saturated layer, which has zero CIN and is
absolutely unstable.

Potential instability is defined using the thermody-
namic field variable of equivalent potential tempera-
ture ye,which is the potential temperature an air parcel
would have if all its water vapor were condensed
and the resulting latent heat were used to warm
the parcel. Large values of both y and q contribute to
large values of ye. The criterion for potential instability
is the decrease of equivalent potential tempera-
ture with height, qye=qzo0. Typically, the largest ye

occurs in the PBL, with a broad minimum in
the middle troposphere, This stratification of ye
supports potential instability through much of the
lower troposphere.

Thermodynamic Destabilization
Processes

Accurate forecasting of convective initiation is con-
founded by the availability of vertical profiles of
temperature and moisture variables at only limited
frequency and horizontal resolution. In practice,
knowledge of physical processes must be used to
anticipate the local evolution of thermodynamic
stability.
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(A) qsurf ∆qsurf
Tsurf
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∆Tsat=L∆qsurf/(cp+L2qs/RvT
2) C′
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(B)

qsurf Tsurf

∆Tsat=cp∆Tsurf/(cp+L2qs/RvT
2)
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�
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D′′
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Figure2 Schematic diagram illustrating the influenceof PBL (B)mixing ratio increasesDqsurf, and (C) temperature increases,DTsurf, on

the CIN of panel (A). In each panel, CIN is indicated by the area of the shaded region and the top of the unmodified PBL is indicated by the

pressure p i . In both panels (B) and (C), themoist adiabat of the unmodifiedPBL is indicated by the vertical dashed line, whereas themoist

adiabat of themodifiedPBL is indicatedby the vertical solid line. In panels (B) and (C), the respectivedifferences between theareasC0 and
C00, and areas D0 andD00 are small compared to the changes in CIN from panel (A) to each of these other panels. Note that in panel (B) the

decrease in CIN from that of panel (A) is due solely to the increase in PBLmoisture in the saturated portion lifting, whereas in panel (C) the

decrease in CIN from that of panel (A) also depends on the temperature increase in the unsaturated region,DTunsat. (Adapted fromCrook

(1996).)
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Both the CAPE and CIN are sensitive to the lower-
troposphericmoisture, which, excluding phase chang-
es within a lower-tropospheric volume, evolves
according to the relation

qq
qt

¼ �v .=hqð Þ �w
qq
qz

� =h . v0q0ð Þ � q
qz

w0q0ð Þ ½3�

In eqn [3], the local change of mean mixing ratio q
depends on horizontal and vertical advections of its
mean component, and on the horizontal and vertical
flux convergences of its eddy component q0.

Given sufficient lower-tropospheric moisture for
CAPE to exist, bothCIN andCAPE are sensitive to the
lapse rate of temperature. The local change of lapse
rate, given by eqn [4], is influenced by the differential
diabatic heating rate, differential temperature advect-
ion, and the adiabatic temperature changes due to
vertical motion, which respectively comprise the three
terms on the right side of eqn [4].

qG
qt

� q
qt

� qT
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� �

¼ � 1
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qQ
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� q
qz

�v .=hTð Þ þ q
qz

w Gd � Gð Þ½ � ½4�

Forecasting the evolution of thermodynamic stability
is challenging, since two or more simultaneous pro-
cesses that influence the vertical temperature and
moisture structures may have significant, but some-
times canceling, effects. In the following, we describe
processes that can lead to thermodynamic de-
stabilization (i.e., increases in CAPE and/or decreases
in CIN).

Turbulent Heat and Moisture Fluxes

The lower troposphere is strongly influenced by the
diurnal cycle of surface heating.During the day, the air
in contact with the heated ground warms by conduc-
tion. This results in a decrease in stability of the lowest
layers through the differential diabatic heating term
(first term on the right-hand side of eqn [4]). However,
the evolution of the PBL temperature structure,
initiated by the surface heating, is a complex process
influenced by turbulent eddies (thermals) that mix
with air of higher potential temperature at successively
higher altitudes. This extends the depth of the neutral
(dry adiabatic) layer during the day (Figure 3). The
rate of destabilizationof the lapse rate qG=qt > 0ð Þand
growth of the PBL depends on several factors, includ-
ing the vigor of the vertical motions within the
turbulent eddies and the stability of the air above the
PBL. At night, the surface heat loss due to infrared
radiation increases the stability of the PBL.

Unlike potential temperature, y, mixing ratio usu-
ally decreases with height. In a well-mixed daytime
PBL, water vapor is transported upward and drier air
is transported downwardwithin turbulent eddies such
that ðw0q0Þ > 0. When drier air is entrained into the
PBL faster than it canbe replaced by evaporation at the
surface, the eddy vertical moisture flux divergence
(fourth term on the right-hand side of eqn [3]) forces
a decrease of q within the PBL. This is often the case
over land when there is both a decrease in q and a lack
of a strong stable layer above the PBL. Within the
warming and drying PBL that can occur in this
situation, CIN typically decreases and, in some cases,
may be eliminated entirely. However, the CAPE may
also decrease when there are sharp decreases in q
above the PBL, such that the resulting PBL decreases in
q from �q w0q0ð Þ=qzo0 overwhelm the PBL increases
in y that arise from eddy vertical heat flux conver-
gence, �q w0y0ð Þ=qz > 0. In other situations, such as
cases of either strong stability above the PBL or
enhanced evaporation at the surface, the latter of
which can occur over warm tropical oceanic regions,
and when cold air masses encounter warm ocean
currents or pass over unfrozen lakes, the sensible heat
and moisture fluxes typically act together to increase
the PBL CAPE.

Horizontal Advections

Differential temperature advection, in which more
rapid cooling (warming) occurs at upper (lower)
levels, will contribute to the destabilization of lapse
rates through the second term on the right-hand side
of eqn [4]. In the middle latitudes, this often
occurs within the warm sector of baroclinic waves,
both ahead of surface cold fronts and upper-level
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shortwaves and within lower-tropospheric warm
frontal zones. In these environments, where a signif-
icant component of the lower-tropospheric tempera-
ture advection is geostrophic, the regions ofmaximum
lower-tropospheric warm advection often experience
large-scale (e.g., quasi-geostrophic) ascent,whichmay
also contribute the destabilization of the lapse
rate through the third term on the right-hand side of
eqn [4].

In some cases, lower-tropospheric warm advection
may be accompanied by positive horizontal moisture
advection (First termon the right-hand side of eqn [3]).
The simultaneous local lower-tropospheric tempera-
ture and mixing ratio increases can result in dramatic
increases in CAPE, with decreases in CIN.

Vertical Motions

Vertical motions can contribute to thermodynamic
destabilization in several ways. In a statically stable
environment GoGdð Þ, upward motion results in
adiabatic cooling. Thus, when vertical motion occurs
above a conditionally unstable layer, such as the
daytime PBL, it increases the CAPE and reduces the
CIN of this layer through adiabatic temperature
changes aloft. Since large-scale ascent generally in-
creases with height in the lower troposphere, in
addition to cooling deep layers above the PBL, such
lifting has a tendency to both raise and weaken
preexisting stable layers through the third term on
the right-hand side of eqn [4]. Persistent large-scale
lifting is particularly effective in reducing CIN, when
combined with the more intense turbulent vertical
motions generated by surface heating, which increase
the potential temperature of the PBL. In contrast to
large-scale ascent, large-scale subsidence tends to both
intensify stable layers and lower their height, which is
deleterious to convective initiation. In tropical re-
gions, vertical motions are crucial in influencing
adiabatic temperature changes, since horizontal tem-
perature advections are considerably weaker than
those found in mid-latitudes.

Adiabatic cooling from upward motion is often
accompanied by moistening from vertical advections
(Second term on the right-hand side of eqn [3]). Given
sufficiently moist initial conditions, persistent large-
scale ascent can saturate lower-tropospheric layers.
This represents a secondway inwhich verticalmotions
can contribute to thermodynamic destabilization.
Since the strongest mesoscale or synoptic-scale ascent
most often occurs above the maximum lower-tropo-
spheric ye, which is typically located within the PBL,
CAPE within these saturated layers is often less than
for the unsaturated air of the PBL. However, in
contrast to the conditionally unstable PBL, the layer

saturation may result in absolute instability, which
obviates the need for additional forcing to displace air
to its LFC. An example of an elevated, approximately
saturated layer that resulted from persistent lower-
tropospheric ascent of potentially unstable air is
shown in Figure 4. Here, air originating at 870 hPa
that undergoes an average ascent of B2 cm s�1

explains the approximately saturated condition at
800 hPa 12 h later. Following the lifting, modest (but
not insignificant) CAPE of 200–1200m2 s2, with
negligible CIN, exists within the 870–770 hPa moist
layer.

Convective Initiation Mechanisms

Although the decrease of CIN can be accomplished by
processes that do not directly involve verticalmotions,
environmental lower-tropospheric ascent (at some
horizontal scale) is generally required both to initiate
convection and to allow it to persist significantly
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beyond the lifetime (t � 1h) of a single cumulonimbus
cloud. Possible exceptions may be forms of propagat-
ing convection (e.g., supercells and squall lines) that
develop in strong vertical shear. Here, convection may
persist through the interactions of its own internal
circulations with the environmental vertical shear (see
Convective Storms: Overview). However, even in
these cases, convective initiation probably results
directly from lower-tropospheric ascent. A compre-
hensive description of the full range of lifting mech-
anisms and their detailed dynamics is beyond the scope
of the current discussion.What follows is a qualitative
overview of several broadly defined classes of lifting
mechanisms commonly associated with convective
initiation.

Forced Mesoscale Ascent

Isentropic mesoscale ascent, which occurs under
conditions ofwarmhorizontal temperature advection,
can play an important role in convective initiation
in two different ways. It may directly initiate convec-
tion by saturating conditionally or potentially unsta-
ble lower-tropospheric layers, or it may simply
contribute to the reduction of CIN, which determines
where more intense and fine-scale PBL-based lifting
mechanisms initiate the convection. Isentropic meso-
scale ascent may be orographically forced or associ-
ated with the overrunning of statically stable air
masses.

One example of isentropic mesoscale ascent is that
which arises from the interaction of a vortex with the
ambient vertical shear. The idealized lifting pattern
associated with a convectively generated meso-
scale vortex (MCV) is shown in Figure 5. Here,
lower-tropospheric air flows up (down) the isentropes
downshear (upshear) of the vortex (Figure 5A). There
is also an additional component of isentropic vertical
motion associated with tangential component of the
vortex flow if the ambient vertical shear is thermally
balanced (Figure 5B).

Isentropic mesoscale ascent is often manifested as
relative flow up frontal surfaces. Low-level jets (LLJs)
of high-ye air that encounter quasi-stationary surface
fronts constitute an example in which the frontal
liftingmay help initiate convection. These LLJs, which
have a significant poleward component, are common
leeward of major north–south oriented mountain
chains (e.g., the Rockies and Andes mountains), and
are enhanced at night for a variety of reasons,
including the cessation of surface drag during the
evening and the development of thermally driven
circulations associated with sloping terrain. The
interaction of nocturnal LLJs with quasi-stationary
fronts may account for the development or persistence

of a substantial fraction of the large nocturnal MCSs
observed during the warm season over the central
United States.

Solenoidal Circulations

Solenoidal circulations comprise a broad class of
thermally direct atmospheric flows (inwhichwarm air
rises and cold air sinks) forced by baroclinity,
R=pð Þ=p3=T 6¼ 0. They may range in horizontal
scale from that of the atmosphere’s general circulation
to highly localized (L � 1–10 km) circulations
confined to the PBL. Lower-tropospheric solenoidal
circulations often result from differential surface
heating. Under hydrostatic conditions, their strength
is proportional to the magnitude of the temperature
gradient on a horizontal surface and the depth through
which the temperature gradient extends. Differential
surface heating has a variety of causes including
sloped or irregular terrain, land–water contrasts, land
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surface contrasts (e.g., vegetative differences),
horizontal gradients in soil moisture, and spatial
variations in cloudiness. The two most widely
documented thermally induced solenoidal circula-
tions are land/sea breezes and mountain/valley
circulations.

Sea breezes are common during the warm season
when large temperature differences occur between sea
and land surfaces during the late morning and after-
noon. In the absence of strong synoptic offshore flow,
the cooler and denser air that originates over the sea
surface flows inland along the surface temperature
gradient (Figure 6) (If the sea breeze persists for a
significant portion of the inertial period, 1=f seconds,
it may develop a substantial alongshore component
due to the Coriolis force.) Ascent of the warmer and
more buoyant air that originates over land occurs at
the sea breeze boundary and may initiate convection.
Over warm seas, convection may initiate offshore at
night owing to the diurnally reversing surface temper-
ature gradient.

In the mountain/valley circulation, during the
day elevated terrain is heated more rapidly than
the surrounding atmosphere at the same elevation.
This induces an upslope flow, with ascent occurring
over the higher terrain. Combined ascent and up-
slope transport of water vapor is one of the reasons
why thefirst convective initiation tends tooccur earlier
in the day in mountainous terrain than over adjacent
flatlands. In addition to the thermally induced
convergence zones that occur in the vicinity of elevated

terrain, mechanically induced convergence zones
that result from blocking of the ambient flow by
the terrain may also serve as sites for convective
initiation.

Solenoidal circulations may also be associated
with temperature (density) contrasts arising from
antecedent convection. In particular, deep convection
is often initiated along the leading edge of evaporativ-
ely chilled thunderstorm outflows, which are some-
times referred to as ‘gust fronts’. Gust fronts are
often evident as fine lines of weak radar reflectivity
on Doppler radar displays or as a narrow band
of cumulus clouds in visible satellite imagery,
and have depths ranging from a few hundred meters
to a few kilometers above the surface. Strong nonhy-
drostatic vertical pressure forces may lead to intense
vertical accelerations within a narrow horizontal
band (B1 km) along the leading edge of the
stronger and deeper gust fronts, which can result in
conditionally unstable air being lifted to its LFC
(Figure 7).

Generally speaking, fine-scale PBL-based circula-
tions are particularly effective in initiating convection
not only because of the intensity of their vertical
motions ðw � 1–10m s�1Þ but also because of their
location in the lowest few kilometers, where the most
conditionally unstable air typically exists. In the
case of gust fronts, convective initiation is most
favored when either two or more of them collide
or when one of them collides with or intersects a
thermal or kinematic boundary of some other origin.
The leading edges of synoptic cold fronts or sea breeze
fronts that have undergone frontogenesis (see Fronto-
genesis) and possess concentrated surface temperature
gradients and windshifts may behave similarly to
gust fronts.

Drylines

Drylines are a phenomenon whose formation arises
not only from PBL processes but also from synoptic-
scale advective processes. Unlike the aforementioned
sources of solenoidal circulation associated with
convective initiation, drylines are not typically char-
acterized by large surface density or temperature
gradients but, rather, by large surface moisture gradi-
ents. Drylines are most common during spring and
early summer, and occur over regionswhere sources of
plentiful water vapor (e.g., air originating over a large,
warm water body) and dry air (e.g., air originating
over a large elevated plateau) are juxtaposed. The
dryline that is intermittently present over the southern
plains of the United States is a well-known initiation
site for severe convective storms. At present, the
mechanism(s) for convective initiation along drylines
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are not completely understoodandmay vary fromcase
to case. In some cases convection initiates during the
daytime along drylines that exhibit strong horizontal
convergence across the surface moisture gradient,
owing to enhanced downward transports of momen-
tum within the drier air where the PBL depth is
greater.

Gravity Waves and Related Phenomena

Disturbances to a stably stratified fluid result
in oscillations, known as gravity (buoyancy) waves,
in which buoyancy is the restoring force (seeDynamic
Meteorology: Waves). The vertical displacements
associated with mesoscale gravity waves have been
hypothesized to influence the initiation of convec-

tion. Disturbances that initiate gravity waves in the
atmosphere are varied and include the diabatic heating
that occurs in MCSs. This heating creates an imbal-
ance between the mass and wind fields, which the
atmosphere adjusts to by simultaneous emission of
transient gravity waves and the development
of longer-lived rotational (balanced) flows such
as MCVs. Avertical profile of diabatic heating similar
to that of an MCS dominated by a large region
of stratiform precipitation produces gravity waves
that cause upward displacements in the lower tropo-
sphere of the nearby atmosphere. These upward
displacements may be sufficient to destabilize oceanic
tropical environments that possess relatively small
CIN, and have been hypothesized to explain
the observation of the frequent development of new
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cloud clusters in close proximity to preexisting cloud
clusters within parts of the intertropical convergence
zone.

In addition to the example of a deep gravity
mode discussed above, gravity waves and related
phenomena may be excited when an outflow from
antecedent convection encounters a layer of strong
stability (Figure 8). The stably stratified nocturnal
PBL provides an example of a medium in which
these shallow disturbances may maintain coherence
as they propagate. In some instances the vertical
displacements associated with these and similar
‘trapped’ disturbances may initiate new convection,
provided that sufficiently moist and unstable air is
situated above the stable layer.

Turbulent PBL-based Circulations

When there is little or no CIN for air within the PBL,
thermally driven PBL turbulence may determine
where convection first initiates. This is due not only
to the inhomogeneities in vertical motions within the
turbulence but also to differences in vertical stability.
For example, observational studies of horizontal
convective roll (HCR) circulations, which are gener-
ally aligned along the PBL vertical shear vector and
have horizontal wavelengths of 5 km or less, indicate
significant differences in PBL temperature and mois-
ture content depending on whether measurements
were taken within an ascending or descending branch
of the circulation.

Another role of turbulent PBL-based circulations in
convective initiation is to define sites at which deep

convective clouds form along a mesoscale boundary,
such as one that arises from solenoidal circulations
discussed earlier. Figure 9 diagrams deep convective
cloud development that arises from the intersection of
HCRs with a sea-breeze front.

See also

Boundary Layers: Convective Boundary Layer. Buoy-
ancy and Buoyancy Waves: Theory. Convective
Storms: Overview. Dynamic Meteorology: Waves.
Frontogenesis. Gust Fronts. Land–Sea Breeze.
Mesoscale Meteorology: Mesoscale Convective
Systems.Quasi-geostrophic Theory. Solitary Waves.
StaticStability.Thermodynamics:Moist (Unsaturated)
Air; Saturated Adiabatic Processes. Valley Winds.
Weather Prediction: Severe Weather Forecasting.
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Introduction

The Coriolis force arises when Newton’s equations
of motion are written in a rotating coordinate
system. It is named for Gaspard Gustave de
Coriolis (1792–1843). His studies of dynamical
problems associated with rotating machinery were
presented to the Académie des Sciences in Paris in
1831.

All of the terms in the equations ofmotion related to
the Coriolis force were actually included in the tidal
equation of P. S. Laplace, published in 1775 and 1776,
and repeated in Book IV of his Treatise on Celestial
Mechanics, published in 1799.

Newton’s equation of motion for a particle is

m
d~uu
dt

¼~FF ½1�

where m is the mass of the particle,~uu ¼ d~rr=dt is the
velocity of the particle, ~rr is the position vector, and
d=dt is the time derivative following the motion of the
particle. The quantity ~aa ¼ d~uu=dt is the acceleration.
This equation holds in an inertial reference frame,
fixed with respect to the ‘fixed’ stars.

But the Earth on which we live rotates at a nearly
constant rate about an axis whose direction is more or
less fixed in inertial space. We denote the Earth’s
rotation vector by ~OO, so O ¼ j~OOj is the rotation rate.
The direction of ~OO points from the South Pole to the
North. TheEarth rotates once each sidereal day,which
is about 8.62� 104 solar seconds. So the Earth’s
rotation rate is O ¼ 7:29�10�5 s�1.

The motions of the atmosphere and the oceans are
generally described in a coordinate system which
rotates with the Earth. For example, longitude, lati-
tude, and height above a reference geopotential
surface form a convenient rotating system. Because

the Earth is rotating, it bulges at the Equator and is
flattened at the poles. The reference geopotential
includes both the gravitational and centrifugal poten-
tial, so the reference surface is not quite spherical. The
Earth’s equatorial radius exceeds the polar radius by
about 21 kilometers. The shape of the geopotential
and the Coriolis force both depend on the Earth’s
rotation rate.

Derivation of the Coriolis Force

Consider two coordinate systems, one of which is
inertial, fixed with respect to the fixed stars, and the
other rotating with angular velocity ~OO. We use a prime
to denote a quantity as viewed in the rotating frame
and use unprimed quantities to denote the inertial
frame. Let~qq be a fixed vector in the inertial frame, so
that

d~qq

dt
¼ 0 ½2�

Viewed in the rotating frame,~qq0 appears to rotate with
angular velocity �~OO in the direction opposite to the
rotation of the coordinate system. So its apparent
velocity in the rotating system is�~OO�~qq0, andwemust
addþ~OO�~qq0 to this apparent velocity to bring it to zero.
We are thus led to the rule

d

dt
~qq ¼ d

dt0
~qq 0 þ ~OO�~qq 0 ½3�

where the terms on the left are viewed in the inertial
frame and those on the right in the rotating frame.
Furthermore, this same result, eqn [3], holds even if the
left-hand side is not zero.

Consider a particle with position vector ~rr in the
inertial frame and~rr 0 in the rotating frame.The velocity
is given by

~uu ¼ d~rr

dt
¼ d~rr 0

dt0
þ ~OO0�~rr 0 ¼~uu 0 þ ~OO0�~rr 0 ½4�
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and the acceleration is

~aa ¼ d~uu
dt

¼ d

dt0
þ ~OO0�

� �
~uu 0 þ ~OO0�~rr 0
� �

¼ d~uu 0

dt 0
þ 2~OO0 �~uu 0 þ ~OO 0�~OO 0�~rr 0 ½5�

The first term on the right is the acceleration as seen in
the rotating system. The second term is the Coriolis
acceleration. The third term is the centripetal accele-
ration arising from the rotating coordinate frame.

Modification of the Gravitational
Potential

Let

R2 ¼~rr 0 �~rr 0 � 1

O2
~OO 0 �~rr 0
� �2

½6�

ThenR is the distance from the position~rr0 to the axis of
rotation, and it is easy to check that

~OO 0�~OO 0�~rr 0 ¼ r0 �O2R2

2

� �
½7�

Since this is the gradient of a scalar, it can be combined
with the gravitation potential to define an effective
gravitational potential. This then accounts for the
nonspherical shape of the rotating Earth and the
reduction of the strength of the apparent gravitational
force due to the centripetal acceleration.

Motions on a Rotating Earth

We now consider motions as observed on a rotating
Earth, and drop the primes used earlier to denote
the rotating coordinates. Consider a local Cartesian
coordinate system fixed with respect to the rotating
Earth. Let x be positive toward the east, y positive
toward the north, and z positive upward, opposite
to the direction of the apparent gravitational force.
Let îi; ĵj; and k̂k be unit vectors in the directions of
x; y; and z, and let u; u; and w be the components
of the velocity in those directions. Ifwe are considering
particle motion then u; u; and w are the components
of the particle velocity. If we are considering
fluid motion then they are the components of
the velocity of the fluid element at the position
x; y; and z. Let the origin of this system be at latitude
y0, which is the angle between the Earth’s equatorial
plane, and the local vertical direction. Then the Earth’s
rotation vector ~OO written in the local coordinate
system is

~OO ¼ O cos y0 ĵjþ O sin y0k̂k ½8�

The Coriolis force~FFC ¼ �2~OO�~uu is given by

~FFC ¼ 2O½ð� cos y0wþ sin y0uÞ̂ii� sin y0ûjj

þ cos y0uk̂k� ½9�

This force is perpendicular to ~uu (and to ~OO) and
therefore does nowork on themoving particle or fluid.
In the equation for the time rate of change of kinetic
energy the Coriolis terms vanish identically. This is
important to note because inmost problems the part of
the Coriolis force proportional to the locally horizon-
tal component of ~OO can be shown by a scaling
argument are to be negligible. These are the terms
proportional to 2O cos y0. When they neglected the
�2O cos y0wîi term and the þ2O cos y0uk̂k term must
both be omitted to avoid introducing a spurious source
of kinetic energy. Likewise if one of these terms is
important then the other should be included as well. If
these terms are omitted then the only quantity involv-
ing the rotation is f0 ¼ 2O sin y0. This is called the
Coriolis parameter. More generally,

f ¼ 2O sin y ½10�

is the Coriolis parameter at latitude y.

The f -Plane and the Beta Plane

If the problem under consideration involves a physical
domain that includes the whole globe or a large
portion of it, then spherical coordinates are a natural
choice and the full dependence of the Coriolis force on
latitude is retained. If the latitudinal extent of the
physical domain is small enough that f ¼ 2O sin y is
nearly constant, then f is approximated by the
constant f0 and we speak of studying the problem
‘on an f -plane’.

A more common situation which arises in both
meteorology and oceanography is one in which the
latitudinal extent of the domain is large enough so that
the spatial variation of f ¼ 2O sin y needs to be
considered, but the full spherical geometry does not.
Then the latitude is written as y ’ y0 þ y=R, where R
is the radius of the Earth, and sin y is approximated by
the first two terms in its Taylor expansion. We
write

f ¼2O sin y ’ 2O sin y0 þ 2O
R

cos y0y

¼ f0 þ by ½11�

The approximation f ¼ f0 þ by is called the beta plane
approximation. The parameter b ¼ 2O=Rð Þ cos y0
was first introduced by Carl Gustav Rossby in 1939.
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Examples: The Foucault Pendulum

We now turn to some simple examples to illustrate
the effect of the Coriolis force. The examples are
the Foucault pendulum, inertial oscillations, Ekman
layers, and geostrophic balance. For the Foucault
pendulum, let a particle of mass m be suspended by
a string of length ‘. Take the origin at the equilibrium
position of the mass, directly below the point of
suspension. If the horizontal displacements are small
compared with ‘, then the x and y components of the
tension in the string are approximately �mg x=‘ð Þ̂ii
and �mg y=‘ð Þ̂jj. In the absence of rotation the equa-
tions of motion would be m€xx ¼ �m g=‘ð Þx and
m€yy ¼ �m g=‘ð Þy, where the dots denote a time deri-
vative. If we add the Coriolis force term and divide by
m we obtain

€xx� f
.
yþ o2x ¼ 0 ½12�

and

€yyþ f
.
xþ o2y ¼ 0 ½13�

where o2 ¼ g=‘ is the pendulum frequency in the
nonrotating system. For positive f we see that the
effect of the Coriolis force is to accelerate the particle
to the right of its motion. A solution of eqns [12]
and [13] with initial conditions x ¼ x0; y ¼ 0;

.
x ¼ 0,

and
.
y ¼ 0 at t ¼ 0 is given by

xþ iy ¼ x0 exp �i
ft

2

� �
cos o0t þ if

2o0 sin o0t
� �

½14�
where we have used complex notation and
o02 ¼ o2 þ f 2=4.

The term in the square bracket describes an elliptical
orbit, almost rectilinear if f 0 � o0, with the pendulum
oscillating at frequency o0. The exponential term
indicates that this elliptical orbit slowly rotates clock-
wise in the Northern Hemisphere, at frequency f=2.
This rotation is due to the deflection of the orbit by the
Coriolis force. The frequency f=2 ¼ O sin y. At the
North Pole the period of the exponential terms is 24 h,
and can be thought of as the Earth rotating under the
swinging pendulum.

Note that the solution given by eqn [14] never passes
through the origin. A slight change in initial condi-
tions, with x ¼ x0; y ¼ 0;

.
x ¼ 0, and

.
y ¼ �f=2x0 at

t ¼ 0, produces the solution

xþ iy ¼ x0 exp �i
ft

2

� �
cos o0t½ � ½15�

The cos o0t½ � represents a true rectilinear orbit through
the origin and the exponential factor describes the

rotation of the plane of the orbit; the nonzero initial
value of

.
y gives the pendulum just the correct initial

velocity to produce this solution.
In the Foucault pendulum problem the Coriolis

force is a relatively small perturbation on the orbit
of the pendulum as it goes back and forth once,
but over the course of a day it has a substantial
cumulative effect. In most atmospheric and oceanic
problems we are interested in time scales of a day
or longer. The Coriolis force then becomes one
of the dominant terms in the equations of motion.
In the remaining illustrations the Coriolis term
is balanced by various other possible important
terms.

Geostrophic Balance

If the motions are varying slowly enough with time to
be regarded as nearly steady, and turbulent dissipation
is small, then the approximate balance in the horizon-
tal momentum equation is

þ 1

r
qp
qx

¼ f u ½16�

and

þ 1

r
qp
qy

¼ �fu ½17�

where p is pressure, r density, and u; u; and f the
velocity components and the Coriolis parameter.
Equations [16] and [17] show that pressure gradient
on the left balances theCoriolis force on the right. This
is called geostrophic balance and is illustrated else-
where in this encyclopedia (see Dynamic Meteoro-
logy: Overview, Figure 1). So if the pressure field is
known then the horizontal velocities can be estimated
from eqns [16] and [17].

Inertial Oscillations

Various departures from geostrophic balance are
possible, and for many of these the Coriolis force still
plays a dominant role. Inertial oscillations provide one
such example. In the simplest case, we ignore hori-
zontal pressure gradients and balance horizontal
accelerations by the Coriolis force. The governing
equations are

du

dt
¼ f u ½18�

and

du
dt

¼ �fu ½19�
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If the initial condition is u ¼ U0; u ¼ 0; then the
solution is

u ¼ u0 cos ftð Þ; ½20�

u ¼ �u0 sin ftð Þ; ½21�

or in complex form

uþ iu ¼ u0 exp �iftf g ½22�

Equation [22] clearly shows that the velocity
vector rotates at frequency f, clockwise in the
Northern Hemisphere and counterclockwise in
the Southern. Such oscillations have been observed
in the sea.

One such observation lasting nearly a week
was made in the Baltic Sea by Gustafson and
Kullenberg. It is described in some detail by Sverdrup,
Johnson, and Fleming in their book The Oceans
(see Figure 1).

Ekman Layers

Another important example is the Ekman layer,
where the Coriolis force is balanced by vertical
mixing. The original work, published by V. Walfrid
Ekman in 1905, is called On the Influence of the
Earth’s Rotation on Ocean Currents. Ekman consid-
ered the problem of determining the motion of
the upper layer of the ocean due to a wind stress
acting on the sea surface. Let z measure distance
positive upward from the sea surface, so the domain of
interest is zo0. In thismodel the only horizontal forces
acting on the fluid are the Coriolis force and the
divergence of the stress tensor describing the turbulent
mixing. The stress is modeled in terms of an eddy
viscosity as

txz ¼ m
du

dz
½23�

and

tyz ¼ m
du
dz

½24�

where txz means the stress in the x-direction acting
on a surface whose normal is in the z-direction. The
quantity m is the coefficient of eddy viscosity, and n ¼
m=r is taken as a constant. The equations of motion in
the x- and y-directions are

�f u ¼ q
qz

n
qu
qz

� �
½25�

and

fu ¼ q
qz

n
qu
qz

� �
½26�

If a stress ofmagnitude t0x acts in the x-direction on the
sea surface, the boundary conditions are

n
qu
qz

¼ t0x
r

on z ¼ 0

and

n
qu
qz

¼ 0 on z ¼ 0 ½27�

Furthermore, the stresses are assumed to vanish as
z ! �1. If we write

q ¼ uþ iu ½28�
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Figure 1 Rotating currents of period one-half pendulum day

observed in theBaltic Sea and represented by a progressive vector

diagram for the period, 17–24 August 1933, and by a central vector

diagram between 06.00 and 20.00 on 21 August (according to

Gustafson and Kullenberg). (Adapted with permission from

Sverdrup HU, Johnson MW, and Fleming RH (1942) The Oceans:

Their Physics, Chemistry and General Biology. New York:

Prentice-Hall.)
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then eqns [25] and [26] can be combined in the form

nqzz ¼ ifq ½29�
and for f > 0 (Northern Hemisphere), a solution
which vanishes as z ! �1 is

q ¼ A exp
1þ ið Þffiffiffi

2
p

ffiffiffi
f

n

r
z

( )
½30�

Applying the boundary condition given in eqn [27]
determines A, and the solution is

q ¼ uþ iu

¼ t0

r

ffiffiffiffiffi
2

nf

s
1� ið Þ
2

exp 1þ ið Þ
ffiffiffiffiffi
f

2n

r
z

( )
½31�

Equation [31] describes a flowwhich at the sea surface
z ¼ 0 is directed at 451 to the right of the surface stress.
The direction of the flow spirals to the right as z
becomes more negative. The net vertically integrated
transport can be determined by integrating eqns [25]
and [26] and applying the boundary conditions eqn
[27]. The result is

U ¼
Z 0

�a
udz ¼ 0 V ¼

Z 0

�a
udz ¼ �t0x

f
½32�

If a nonzero stress in the y-direction, t0y, had been
specified as well, we would have

U ¼ t0y
f

V ¼ � t0x
f

½33�

So the net transport in the frictional boundary layer
is 901 to the right of the wind stress in the Northern

Hemisphere. In the Southern Hemisphere the trans-
ports are 901 to the left of the wind stress, and surface
currents 451 to the left.

Since f ¼ 2O sin y vanishes at the Equator, there is
an equatorial transition from Northern to Southern
Hemisphere behavior. All the examples discussed here
apply to regions away from the Equator. In the tropics
other terms become important in the equations
describing the motion.

See also

Boundary Layers: Neutrally Stratified Boundary Layer.
Dynamic Meteorology: Overview.
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Introduction

Coupled models represent the best available tools
for addressing some of the most pressing
current scientific questions. For example, it has
been predicted that global mean sea level will
rise by between about 10 and 90 cm in the
twenty-first century, compared with the 10–20 cm
rise observed in the twentieth century. How can
these predictions be made, and with what con-
fidence?

To address such an issue requires the most sophis-
ticated and advanced models of the Earth’s environ-
ment. At present these models capture only part of
what is thought to be involved in representing the
many complex interactions in the climate system. The
models have deficiencies, both in their ability to solve
the equations correctly and in that they do not take
into account all known interactions, not to mention
possible interactions that have not yet even been
thought of. Nonetheless, they represent the main tool
for climate prediction, interpretation of climate var-
iability, and understanding of climate feedbacks and
interactions. In the last few years, considerable
progress has been made in the development and use
of such models.
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In this article, the physics of coupled models will
first be considered and then some examples of appli-
cations will be given. Although for certain applica-
tions gross simplifications of some components can be
made such, models are highly specific to a given
application and will not be considered here: rather we
will discuss only coupled general circulation models
(CGCMs).

Any CGCM must contain a comprehensive model
of the atmosphere, together with a comprehensive
model of the ocean. Usually both will cover the globe,
and a model of land conditions covering soil moisture
and snow cover is generally included as part of the
atmospheric model. Frequently there is a model of the
sea ice. Interactions with chemistry, biology, and
geochemistry are under development but not yet
generally included. Not all coupled models will have
all these components. For example, models used to
study seasonal climate variability – why one season is
not like its counterpart a year later – do not yet have
sea ice models, whereas models to study global
change – how climate will respond to changing
levels of ‘greenhouse’ gases – should have an accurate
sea ice component.

In its simplest form, modeling the atmosphere is a
case of solving the equations governing both the
atmospheric flow and thermodynamics. Unfortunate-
ly, the equations are horribly complex and can only be
solved approximately by numerical means. Concep-
tually imagine the atmosphere of the Earth as split up
into boxes. Box-average values are defined and the
equations modified to solve for these average quanti-
ties. Typically in climatemodels the size of the boxes is
a few hundred kilometers on a side by some ten to
hundreds ofmeters deep, but look out thewindow and
you will see a lot can happen on scales much smaller
than this. Representing the atmosphere by box aver-
ages could therefore leave many processes unaccount-
ed for.Wecan take account of how these boxes interact
in a mean sense explicitly, but the smaller-scale
processes have to be parameterized. Thus how many
clouds in a box, what type, what height, what effect
they will have on the radiation – if you are under a
cloud on a sunny day it is a lot cooler than if you are in
full sun – all have to be represented in some form
though parameterization. Unfortunately, the smaller
scale processes have an important influence on the
box-average values and so should be represented
accurately, albeit only statistically. These aspects will
be discussed later: for now, simply note that anymodel
of the atmosphere must include a mechanism for
handling the explicit part (the averages) and the
smaller-scale processes – the physical parameteriza-
tion. A similar scale separation into explicitly resolved
and sub-grid-scale processes applies to the ocean and

other components of the coupled system.As there is no
unique way of making these parameterizations, dif-
ferent models will have different parameterizations.
By comparing and combining the results of many
models, it is possible to put some measure on the
uncertainty arising from sub-grid-scale processes.

There are over 30 different coupled models extant
today.The atmosphere is quite complicated anddiffers
substantially frommodel tomodel. It is not possible to
describe these individually, so instead we will discuss
primarily one atmosphericmodel as a typical example.
A typical ocean model will also be described. Appli-
cations of coupled models will then be given.

The Atmospheric Model Formulation

The Explicit Equations

The model formulation can be summarized by seven
basic physical equations, the resolution in time and
space, and the way the numerical computations are
carried out. Of the equations governing the ECMWF
(European Centre for Medium-Range Weather Fore-
casts) primitive equation atmospheric model, two are
diagnostic and tell us about the static relation between
different parameters: namely the gas law, which gives
the relation between pressure, density, and tempera-
ture, and the hydrostatic equation, which shows the
relationship between the density of the air and the
change of pressure with height. Four prognostic
equations describe the changes with time of the
horizontal wind components, temperature and water
vapor content of an air parcel. The equation of
continuity expresses the mass conservation andmakes
it possible to determine the vertical velocity and
change in the surface pressure.

Newton’s equations of motion describes how the
momentumof an air parcel changes due to the pressure
gradient and the Coriolis force. The thermodynamic
equation expresses how a change in an air parcel
temperature is brought about by adiabatic cooling or
warming due to vertical displacements. The continuity
equation for moisture assumes that the moisture
content of an air parcel is constant, except for losses
due to precipitation and condensation or gains by
evaporation from clouds and rain or from the oceans
and continents. Added to this, there are specific
prognostic equations for the cloud fraction, water,
ice content, and ozone. Latent heat release, radiation
from the Sun and the Earth’s surface, and frictional or
turbulent processes (diffusion) are described in a
statistical way as parameterized processes.

The vertical resolution (measured in geometric
height) is highest in the planetary boundary layer
(PBL) and lowest in the stratosphere. The atmosphere
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is divided into 40 levels (Figure 1). These follow the
Earth’s surface in the boundary layer but are surfaces
of constant pressure in the upper stratosphere with a
smooth transition between these types of levels. For its
horizontal resolution the ECMWFcoupledmodel uses
two different numerical representations. A spectral
method, based on a spherical harmonic expansion,
truncated at total wavenumber 95, is used for the
representation of upper air fields, and the computation
of the horizontal derivatives. This spectral technique
was introduced to improve the accuracy in computing
terms involving spatial derivatives, which is crucial for
good phase speed estimation. With higher resolution
with both grid point and spectral models there is less
significant difference in accuracy, though there are still
some advantages in using a spectral representation.

The momentum, temperature, and humidity equa-
tions have to be stepped forward in time. An innova-
tive feature of the ECMWFmodel is the use of a semi-
Lagrangian numerical scheme instead of an Eulerian
one to save computer time and speedup the forecast. In
a pure Lagrangian framework one seeks to follow a set
of marked fluid parcels. A difficulty is that shear and
stretching deformations tend to concentrate parcels

inhomogeneously, so that it is difficult to maintain
uniform resolution over the forecast region. A semi-
Lagrangian scheme is used to overcome this difficulty:
the grid points are stationary and at each time step the
scheme computes a backward trajectory from every
grid point. The point reached defines where the air
parcel was at the beginning of the time step. The
interpolated value of the variable at that point is then
carried forward to the grid point, applying the various
physical processes. Whereas all Eulerian schemes
require small time steps to avoid numerical instability,
the semi-Lagrangian scheme allows longer time steps.
(The limitation for stability is that the trajectories do
not cross, i.e. a parcel cannot ‘overtake’ another one.)
Tests have shown that a semi-Lagrangian timestep can
be at least 15 times longer than the Eulerian without
becoming unstable, though such an increase in time
step may be too long to deal adequately with physical
processes within the model. For a spectral resolution
of T95, the time step is 1 h. (If the semi-Lagrangian
approachwas not used, the time stepmight be�5min,
showing the great advantage of the technique. Most
coupled models, however, do not yet use this tech-
nique.) A further advantage of the semi-Lagrangian
technique is that it allows a better representation of the
moisture equation, where the large gradients in
moisture often give rise to negative values in an
Eulerian formulation if special steps are not taken.

In addition to the spectral representation, there is a
grid point representation used for computing dynamic
tendencies and the diabatic physical parameterization.
This so-calledGaussian grid is regular in longitude and
almost regular in latitude. Due to the convergence of
the longitudes toward the poles, the east–west distance
between the grid points decreases poleward. To avoid
some numerical problems around the poles, but most
importantly to save computing time, a reduced
Gaussian grid is introduced by reducing the number
of grid points along the shorter latitude lines near the
poles, so as to keep the east–west separation between
points on different latitudes almost constant. The
model surface is logically divided into sea and land
points, by using a land–sea mask. A grid point is
defined as a land point if more than 50% of the actual
surface of the grid box is land. A typical resolution of
approximately 200 km.

Parameterization of Physical Processes

The physical processes associated with radiative
transfer, turbulent mixing, sub-grid-scale orographic
drag, moist convection, clouds, and surface/soil pro-
cesses have a strong impact on the large-scale flow of
the atmosphere. However, these mechanisms are often
active at scales smaller than the horizontal grid size.
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Figure 1 Vertical distribution of levels in the atmosphere.

(Courtesy of the ECMWF.)
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Parameterization schemes are then necessary in order
to properly describe the impact of these sub-grid-scale
mechanisms on the large-scale flow of the atmosphere.
In other words, the ensemble effect of the sub-grid-
scale processes has to be formulated in terms of the
resolved grid-scale variables. Processes of special
interest are those happening near the ground and the
interchange with the ocean; the effects of radiation,
clouds, and precipitation; and the mixing and stirring
by small-scale processes. Figure 2 represents schemat-
ically the different physical processes considered in the
ECMWF atmospheric model.

The treatment of the planetary boundary layer
(PBL) plays a fundamental role for the whole atmos-
phere-Earth system. It is through the surface exchang-
es of momentum, heat, and moisture that the
atmosphere ‘feels’ that it moves over a rough land
surface or a wet smooth sea. The lowest model level is
close to 10m above the surface and several more levels
are within a few hundred meters of the surface, where
velocity humidity and temperature can change rapidly.
Even with this fairly high resolution, the vertical
gradients of temperature, wind, moisture, etc., in the
PBL cannot be described very accurately, let alone the
turbulent transports of momentum, heat, and mois-
ture. For the estimation of these parameters the model

uses the larger-scale variables such as wind, temper-
ature, and specific humidity, with the assumption that
the fluxes are proportional to the vertical gradients. At
the Earth’s surface, the turbulent fluxes ofmomentum,
heat, and moisture are computed as a function of air–
surface differences and surface characteristics. Over
land areas, snow depth, soil temperature, and wetness
are forecast variables, calculated by amodel of the soil
with four layers within the top 2m.

For the albedo, a background monthly climate field
is used over land. Two spectral bands are used in the
solar radiation calculation, corresponding to direct
input from the Sun and diffuse radiation. Over open
water the albedo for these varies differently. Over land
the forecast albedo depends on the background albedo
and the snow depth. It has aminimum of 0.07 and can
go up to 0.70 for exposed snow but only to 0.20 for
snow in forest. The thermal properties of snow-
covered ground depend only on the depth of the
snow mass per unit area. The snow depth evolves
through the combined effect of snowfall, evaporation,
and melting.

The soil moisture is divided into skin and soil
reservoirs. The skin reservoir (which is mainly mois-
ture on vegetation) evolves under the action of its own
evaporation and its ability to collect dew and intercept
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precipitation. The soil reservoir takes into account
precipitation and snow melt, as well as vertical
transfer of water due to drainage and capillarity,
evaporation over bare ground, and root uptake by
vegetation. The vegetation ratio is specified in each
grid point and used by the model to estimate the
roughness and the evaporation.

In view of the importance of cloud–radiation
interaction in both long-term (climate) and short-
term (weather) processes, high emphasis is placed on
the treatment of the absorption and scattering by
clouds of solar and terrestrial radiation. A significant
fraction of the overall computational time is devoted
to the radiation scheme, even though some simplifica-
tions are made to reduce the cost such as calculating
radiation only every 3 h rather than every time step
only over a subset of the grid points.

The radiation spectrum is divided into eight fre-
quency bands: two in the short-wave spectrum (direct
from the Sun and diffuse radiation), and six in the
long-wave spectrum (from the Earth and within the
atmosphere). The upward and downward diffused
radiation is computed for each of the eight spectral
bands. The parameters influencing the emission and
absorption are pressure, temperature, moisture, cloud
cover, and cloud water content. In addition, emission
and absorption are affected by the amount of carbon
dioxide, ozone, methane, nitrous oxide, CFC-11, and
CFC-12 present. Assumed parameters are the concen-
tration of these trace gases, the solar constant, the
distribution and optical properties of aerosols, and
ground albedo, which is modified according to the
snow cover.

The radiation scheme is designed to take the cloud–
radiation interactions into account in considerable
detail. It allows partial cloud cover in any layer of the
model. For cloudy grid points, computations aremade
both for clear and overcast conditions, and the total
amount weighted according to the forecast cloud
amount. The radiative effects of various types of
aerosols (oceanic, continental, desert, urban, and
stratospheric background) are taken into account.

The main purpose of the cloud scheme is to provide
input to the radiation computations and to calculate
precipitation. The clouds are generated by large-scale
ascent, cumulus convection, boundary layer turbu-
lence, and radiative cooling. They are dissipated
through evaporation due to large-scale descent, cu-
mulus-induced subsidence, radiative heating, and
turbulence at both cloud tops and sides. The cloud
scheme treats the main cloud-related processes in a
consistent way by forecasting both cloud fraction and
cloud water/ice content with their own prognostic
equations. The cloud processes are strongly coupled to
other parameterized processes.

Sub-grid vertical fluxes of mass, heat, water vapor,
andmomentumare computed at eachmodel levelwith
the help of a simple mass flux model interacting with
its environment. The scheme is applied to penetrative
convection, shallow convection andmid-level convec-
tion. They are mutually exclusive, so only when the
scheme fails to create cloud of one type, does it try the
next. Deep convection predominantly occurs in dis-
turbed situations with a deep layer of conditional
instability and large-scale moisture convergence. The
downdraught mass flux is assumed to be proportional
to the updraught mass flux. Shallow convection
predominantly occurs in undisturbed flow, in the
absence of large-scale convergent flow. The moisture
supply is from surface evaporation. It does not
normally produce precipitation.Mid-level convection
describes convective cells that originate at levels above
the boundary layer. Stratocumulus clouds are linked to
the boundary layer moisture flux produced by the
vertical diffusion scheme. Stratiform clouds (e.g., low-
level stratus andmedium-level nimbostratus types) are
determined by the rate at which the saturation specific
humidity decreases due to upward verticalmotion and
radiative cooling. Evaporation processes in connec-
tion with clouds are accounted for in several ways:
large-scale and cumulus-induced subsidence and ra-
diative heating, evaporation at the cloud sides due
to turbulent processes, and turbulent motion at the
cloud tops.

Precipitation processes not only take into account
the local water/ice content, but also different precip-
itation enhancement processes as well as evaporation
of falling precipitation. Two mechanisms to generate
precipitation are included – for convective and for
stratiform (frontal or dynamical) precipitation. In the
case of convective precipitation the condensate
formed in the updrafts of the convection is water
above01C, ice below � 231C, andamixture of the two
in between. If the amount of condensate formed
exceeds the value that can be sustained by the vertical
velocity, precipitation is formed in the form of snow or
water. When stratiform precipitation occurs cloud
water and ice from the cloud scheme are converted
into precipitation dependent on the water/ice content.
It is assumed that falling precipitation evaporates in
nonsaturated layers before reaching the ground, a
process that can substantially reduce the precipitation
reaching the surface.

The circulation of the atmosphere is shaped by the
contrasts between land and sea and the presence of the
major mountain ranges of the world, through the
blocking effects on the flow and through the surface
drag. Mountains have many scales associated with
valleys and peaks and it is not sufficient just to
represent them by their average height. In fact, the
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representation of the orography uses the mean oro-
graphy and four additional fields describing the
standard deviation, orientation, anisotropy, and slope
of the sub-grid orography. This takes some account of
the orographic variability, but even so, the model
orography is still significantly smoother than reality.
However, the parametrization allows a realistic rep-
resentation of the mountain drag, which is important
for the creation of large-scale atmospheric eddies. An
important part of the scheme is that, depending on
dynamical criteria, it can block the low-level flow
rather than make the air go over the orography.When
stably stratified air crosses a mountain ridge, gravity
waves are excited. Depending on the static stability
and vertical wind shear, these gravity waves can
propagate vertically until they have sufficiently large
amplitude to break. A gravity wave drag scheme is
included to represent the momentum transport due to
sub-grid gravity waves, contributing to the formation
of blocking highs and cut-off lows.

Ocean Components

An ocean GCM typically solves the equations of
momentum, thermal energy, the continuity equation,
the hydrostatic equation, and the state equation. An
equation for salinity is also included as salt has an
important effect on density. The ocean is usually
assumed to be incompressible, which allows some
simplifications to be made. A model typically has a
relatively high spatial resolution ð�30 kmÞ near the
Equator so that it can resolve and give a good
representation of the equatorial waves which are so
important in processes such as El Niño. The zonal
resolution is in the range 1–21. The vertical resolution
is typically 30 vertical levels with more than 10 levels
within the upper 200m. A realistic bottom topogra-
phy is used. Unlike in the atmospheric case, depth-
following coordinates are not generally used. A depth
ðzÞ coordinate system is by far the most common,
though a hybrid system using isopycnic coordinates in
the deep ocean and z coordinates near the surface is
sometimes used.

Just as in the atmospheric case, ocean models must
parametrize sub-grid-scale processes. In some respects
the ocean is a simpler system than the atmosphere,
with fewer processes to parametrize. Mixing is a key
process. Horizontal mixing is usually done by some
combination of straight Laplacian mixing or higher-
order biharmonic mixing. The physical justification
for the latter is weak, but it has the advantage of
reducing mixing except at larger scales. Variants on
this include flow-dependent mixing such that it is
small, except where shear or strain are large. Vertical

mixing processes are represented by a diffusion
operator with coefficients dependent on the local
Richardson number. In addition, some algorithm is
used to estimate the depth of the mixed layer, within
which there is enhanced mixing (the upper ocean
mixed layer is the equivalent of the atmospheric
boundary layer). Finally, models incorporate a
parametrization of convection that ensures stable
conditions in a given ocean column.

Early versions of ocean models obtained efficiency
by assuming the ocean had a rigid lid, so excluding fast
external gravity waves and allowing longer time steps.
Indeed, some models still use this approximation,
though free surface conditionswhereby the top surface
can rise and fall as a result of replacing cold water by
warm or salty by fresh are now more common.

The ocean is forced by the transfer of momentum
between the atmosphere and the ocean. Strictly this
should be through the generation of surfacewaves, but
in fact a much simpler and local formulation is used
whereby the near-surfacewind generates amomentum
flux that is passed to the upper ocean locally and
directly. The heat fluxes from the atmospheric model
(latent heating, sensible and long-wave) are applied at
the surface. Solar heating can penetrate into the ocean
a few tens of meters. Usually the transparency of the
water is fixed, though some models are capable of
including a biological component and predicting the
turbidity.

One problem that is more acute in the modeling of
the ocean than the atmosphere is the range of energetic
scales that are present and have to be accounted for.
The radius of deformation ismuch smaller in the ocean
than in the atmosphere, meaning that energetic proc-
essesmay take place in the ocean at scales of only a few
kilometers, such as mesoscales eddies (the equivalent
of atmospheric weather systems) and boundary cur-
rents. These eddies can be simulated explicitly in
purpose-built models with specific applications in
mind, but not in themodels used for climate processes.
Further, boundary currents such as the Kuroshio and
the Gulf Stream are poorly resolved in climate models
leading to erroneous separation from the coast,
frequently resulting in errors in the interior circula-
tion. To properly resolve these currents and eddies
requires resolution of �5km, which is far beyond
what can be achieved in climate models in the near
future. The effects of eddies must therefore be
parameterized.

Another difficulty is that it is thought that the world
ocean circulation has a few important choke points.
One of these is the throughflow between the Pacific
and Indian oceans. In reality the channels are narrow,
much narrower than the model resolution. To over-
come this, the models must either use an artificially
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wide channel, which may then allow incorrect trans-
fers of heat and salt between the twooceans or increase
the resolution in the neighborhoodof the channels by a
grid mapping. The overflow from the Greenland/
Norwegian seas into the Atlantic is another region in
which the transfers are in error. Many models do not
take any special measures to try to limit the impact of
such deficiencies on the circulation; others have tried
specific local fixes, though these have not yet been used
in extended climate integrations.

A potentially serious problem with using coupled
models to calculate the behavior of the ocean and
atmosphere is that errors in the models can accumu-
late, giving rise to what is called model drift, i.e., a
tendency for the model to evolve towards an unreal-
istic state. In the ECMWF system many parts of the
ocean surface cool down, while in a few places the
ocean surface systematically warms up. Other models
have different systematic errors. Since the size of the
drift is comparable to that of the signal model drift
would be a serious problem if it were not dealt with in
some way. Two ways will be mentioned as examples:
a posteriori correction as sometimes used in seasonal
forecasting, and a priori correction in the form of flux
correction, as sometimes used in climate change
scenarios.

Applications of Coupled Models

The uses of coupled models are many but here we
will consider only two: seasonal forecasting and
climate change. The former is associated with trying
to predict what will happen in the next few months,
the latter in trying to predict what will happen in the
next hundred years. Curiously, there has been less
effort in trying to predict what will happen in the next
10 years, though this application is likely to increase in
the future.

It is not possible to predict the details of the weather
beyond a few days, nor is it possible to predict exactly
the average weather a season ahead, but it is possible
to predict the range of values that are likely to occur. In
some parts of the world, and in some circumstances, it
may be possible to give a relatively narrow range
withinwhichweather values are expected to occur and
how this changes from year to year. Some of the
forecasts associated with strong El Niño events fall
into this category.More typically, the probable ranges
of the weather are shifted only slightly from year to
year. Some tropical areas have a moderate amount of
predictable signal, whereas in the midlatitudes ran-
dom weather fluctuations are usually larger than the
predictable component of the weather.

The reason the behavior of the atmosphere is not
predictable in a deterministic sense on seasonal time

scales is that small uncertainties in the initial condi-
tions will always give a large uncertainty in the state
of the atmosphere after a few days. Because the
atmosphere and climate system are so chaotic, ensem-
ble techniques are needed whereby the forward
calculation of the ocean–atmosphere system is repeat-
ed many times, with small differences in the initial
conditions. The overall statistics of the predictions
are then considered. The size of the ensemble
is typically about 30, which is enough to give a
reasonable estimate of seasonal changes inmany areas
of the tropics. A larger ensemble is needed to better
resolve the weaker signals that are often present in
midlatitudes.

Asmentioned earlier, fully coupledmodels drift, as a
result of errors in one or both of the components. A
strategy for dealing with model drift is necessary. In
seasonal forecasting, one strategy is to initialize the
ocean, atmosphere, and land surface to be as close to
reality as possible, and calculate the forward evolution
of the system as best we can using numerical approx-
imations of the laws of physics.No ‘artificial’ terms are
introduced to try to reduce the drift of the model, and
no steps are taken to remove or reduce any imbalances
in the coupledmodel initial state: we simply couple the
models together and start to integrate forward. The
effect of the drift on the model calculations is
estimated from previous integrations of the model in
previous years. This mean drift is then removed from
the model solution during the post-processing and
before a forecast is issued.

The behavior of the atmosphere is influenced by a
number of factors that themselves show variations
from year to year. The most important of these is the
ocean, whose surface temperature can have a substan-
tial impact on the atmosphere, especially in the
tropics, where relatively small temperature changes
can cause large shifts in the positions of tropical rain
systems. Although the ocean is the most important
factor in seasonal forecasts, it is not the only one:
changes in soil moisture and snow cover of the land
surface also play a role. It is also possible that some
aspects of the initial state of the atmosphere have a
part to play, although this is not certain. The impact of
all these factors on the atmosphere can be described
technically as a shift in the (chaotic) attractor of the
atmospheric system, meaning that these factors influ-
ence the statistics of the atmospheric behavior. They
do not determine exactly what will happen, but they
do influence, for example, the amount of storm
activity that might be expected at a certain place
during a certain period of time.

An application of coupled models to seasonal
forecasting of El Niño is shown in Figure 3. The value
of the SST (sea surface temperature) in the central
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eastern equatorial Pacific (Niño-3) is shown, together
with various forecasts from different starting times
(indicated by color). The skill of the predictions is
generally quite good, though one can see cases when
every ensemblemember underpredicted the rising SST.
Coupledmodels can themselves be used to estimate the
accuracywithwhichElNiño events could be predicted
if the model were accurately specified and the initial
conditions were accurately known. On the basis of
present estimates, there are grounds for optimism.
One major uncertainty in the evolution of the El Niño
Southern Oscillation (ENSO) is the role played by
the intraseasonal oscillation, poorly represented in
current models.

Applications to Decadal Forecasting

There are currently no applications of a regular
and routine nature for this type of problem. How-
ever, the same strategy as used for seasonal forecasting
could be used for this longer time scale problem.
It would be desirable to have a sea ice model, though
even for this time scale it may not be essential.
The ocean initial conditions would be obtained
as for seasonal forecasting using a combination
of past history of the atmospheric forcing fields and
assimilation of ocean data. An assessment of
the scientific case and justification for such an activity
is in progress, however. Whereas for seasonal fore-
casting the emphasis has been on the Pacific, for
decadal variability greater attention has been given to
the Atlantic.

Applications to Global Change

Use of coupled models to quantify the future climate
given prescribed changes in radiatively active gases is a
major activity at a number of climatemodeling centers
around the world. Just as ensembles of forecasts are
needed for seasonal and decadal prediction, so, too,
are they needed for global change forecasts. Unfortu-
nately, each modeling group performs only a few
integrations. The combination of forecasts by many
models should give a measure of the probability
distribution function spanning uncertainty in model
formulation (both parameterization and dynamical
methods). Each model should be run with a set of
different initial conditions spanning the uncertainty in
knowledge of the current ocean state and to represent
the uncertainty resulting from chaotic processes. This
is not yet being done in an organizedway, as it is highly
computer intensive and sufficient resources are not yet
available. At longer forecast leads the importance of
the initial conditions is expected to decrease, unless a
major state change should result, such as the shutting
down of the thermohaline circulation.

Despite the limitations of coupled models, they
remain the only way of making quantitative predic-
tions of the consequences of projected changes in
greenhouse gases. Over the last few years, some
models have reached a stage of development where a
flux correction to offset climate drift is not required.
Systematic errors still remain, however. For example,
the distribution of stratus clouds over the colder ocean
towards the eastern side of the subtropical oceans is
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not well represented in models. Models do not in
general simulate the correct timing for the onset,
decay, or intensity of the Asian monsoon.

Until recently, it was thought that the stratosphere
played only a limited role in climate change but that
view is changing. The idea that climate change may
influence the frequency of occurrence of basic modes
of variability has given greater impulse to the verifi-
cation of a model’s ability to reproduce the preferred
patterns of variability. Three of these are the El Niño/
La Niña or ENSO cycle, the Pacific North American
pattern and the North Atlantic Oscillation. The better
models do represent ocean–atmosphere interaction in
the tropics with roughly the correct time scales. There
is no consensus on how El Niño events will change –
whether they become more frequent, or more intense.

A low-probability but high-consequence outcome
of global change is that the Atlantic thermohaline
circulation might shut down. Several coupled models
suggest that the thermohaline circulation might be
reduced in the next hundred years, though none
predict its collapse. However, the thermohaline circu-
lation is sensitive to processes not well represented in
models. These include in particular the outflow from
the Greenland Norwegian Sea, and the fresh water
input from the atmosphere.

Although coupled modeling has advanced consid-
erably in the past decade, we are far from having well-
validated models that can be used with confidence in
climate forecasting. The different time scales and
feedback mechanisms between the various processes
makes the computations extremely complex and
expensive. The mechanisms for these processes are
mainly related to disturbances smaller than the scales
explicitly resolved by the model, from convective
clouds down to molecular processes. The effect that
these sub-grid-scale processes have on the larger scales
can be computed only by parametrization, i.e.,
formulating indirectly their overall effect in terms of
known grid-scale variables. However, with increasing
computer power likely and a growing interest in

climate-related issues, there is no reason to believe that
rapid improvement in climate forecasting will not
continue.
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Introduction

Theoretical models of waves in the atmosphere nat-
urally require consideration of propagation on a

background state that is a shear flow. One example is
that of Rossby waves (or planetary waves) propagat-
ing from the extratropical troposphere into the strat-
osphere, The background state here is the
longitudinally averaged flow, which may include
westerly winds increasing in strength with height
(e.g., in the winter) or westerly winds at lower levels
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changing to easterly winds at upper levels (e.g., in
the summer). Another example is that of small-scale
internal gravity waves excited by a mountain and
propagating upward through a large-scale flow
that changes strength (and perhaps direction) with
height.

Suppose that the background flow (i.e., the flow in
the absence of the waves) is in the x-direction with
speedU that is a function of a second space coordinate
y and that the waves have a well-defined phase speed c
in the x-direction. Then a location where UðyÞ ¼ c
(i.e., where the flow speed matches the phase speed) is
a line parallel to the x-axis and at a fixed value of y,
called a critical line. Where the second space coordi-
nate is height, the equivalent term critical level is often
used. If the speed U were a function of two space
coordinates y and z, then the location Uðy; zÞ ¼ 0
would define a critical surface.

Simple theories for the structure of waves are often
based on the assumptions that the waves are propa-
gating steadily, that dissipative or diabatic processes
such as friction or radiative transfer may be neglected,
and that the waves are small in amplitude, so that
terms in the equations of motion that are nonlinear in
wave quantities may be neglected. These theories lead
to a straightforward differential or partial differential
equation that describes the spatial structure of the
waves. The importance of the critical line is that it is a
location where these differential equations are singu-
lar; in other words, the solutions imply that some
physical quantity becomes infinite.

As in many physical contexts, the appearance of
singular behavior in a mathematical model implies
that the simplifications that lead to that model cannot
be justified and that some physical process that was
neglected must be retained. To remove the critical-line
singularity, one of the neglected processes mentioned
abovemust therefore be included (however weak such
processes might have been estimated to be). The
neglected process will be essential only in a small, but
finite, region around the critical line and may still be
negligible elsewhere. This small but finite region is
named the critical layer.

The Rossby Wave Critical Layer

A Simple Model

One of the simplest examples of the critical-line
singularity and its resolution in a finite critical layer
arises in a two-dimensional model of Rossby wave
propagation on a b-plane (a mathematical device to
include the effect of the variation of the Coriolis
parameter with latitude). Two-dimensional Cartesian
coordinates ðx; yÞmay be used, with xmeasured in the

eastward direction and y measured in the northward
direction. The corresponding velocity components are
taken to be ðu; vÞ. The assumption of incompressibility
implies that the velocity componentsmaybe expressed
in terms of a streamfunction c x; y; tð Þ (with t time)
where u ¼ �qc=qy and v ¼ qc=qx.

The governing equation is based on the fact that, in
the absence of dissipation, the absolute vorticity,
which is the sum of the relative vorticity z ¼ qv=qx�
qu=qy ¼ r2c and the planetary vorticity by, is con-
served following the fluid motion. b is a constant and
in anEarth-like atmosphere is positive. It is convenient
to include linear damping of vorticity in themodel as a
simple representation of a dissipative processes. The
governing equation then becomes eqn [1], where a is
the damping rate.

q
qt

þ u
q
qx

þ v
q
qt

� �
zþ byð Þ ¼ �az ½1�

(Another possibility for a dissipative process would be
diffusion of vorticity. Neither linear damping nor
diffusion is likely to be a realistic representation of
dissipative processes in the real atmosphere, but either
serves as a convenient example that captures the basic
effect of dissipation in the critical layer.)

It is assumed that in the absence of waves the flow is
in the x-direction with speed UðyÞ. Waves are super-
imposed on this flowgiving a contributionc0 x; y; tð Þ to
the streamfunction. Then the eqn [1]may bewritten in
terms of c0 as eqn [2], where u0 ¼ �qc0=qy and v0 ¼
qc0=qx are the wave velocity components
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If the damping isweak, it is reasonable to neglect the
first termon the right-hand side. If thewaves are small-
amplitude, it is reasonable to neglect the second and
third terms on the right-hand side,which are quadratic
in wave quantities. Since the resulting equations are
linear and contain no explicit x-dependence, it is
possible to consider waves with different wavelengths
in the x-direction as independent.

Consider one such wave, with x-wavenumber k
(i.e., wavelength 2p=k in the x-direction), assumed
to be steadily propagating in the x-direction with
phase speed c. It follows that the streamfunc-
tion for this wave may be written in the form
c0 x; y; tð Þ ¼ Re½ĉc yð Þeik x�ctð Þ�, where ĉc yð Þ is a (com-
plex) function of y. Substituting into eqn [2] and
neglecting terms on the right-hand side gives the
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ordinary differential equation [3].

d2c
dy2

þ b� d2U=dy2

UðyÞ � c
� k2

 !
ĉc ¼ 0 ½3�

Equation [3] is known as the Rayleigh–Kuo equation
and determines the stability of the shear flow UðyÞ, as
well as describing (through the function ĉcðyÞ) the
structure of propagating waves.

The appearance of the factor U yð Þ � cð Þ�1 in part of
the coefficient of ĉc indicates that the equation has a
singular point at values of y such that UðyÞ ¼ c, i.e.,
where the phase speed matches the flow speed. These
locations are the critical lines. If UðyÞ is an increasing
or decreasing function of y, there is atmost one critical
line. If UðyÞ has a turning point (as would be the case
for a jetlike flow, for example), theremay bemore than
one critical line.

Consider the solution near a critical line at y ¼ yc.
The nature of eqn [3] is such that while ĉc yð Þ
(proportional to the velocity in the y-direction) is
finite and continuous in the neighborhood of the
critical line, d2ĉc=dy2 (representing part of the vorti-
city) is proportional to y� ycð Þ�1 and dĉc=dy (repre-
senting the velocity in the x direction) is proportional
to log y� ycj j; i.e., both are singular. This is clearly
unphysical, but what is more problematic, in a way, is
that the singularity in dĉc=dy implies that there is no
unique way to match solutions of eqn [3] across
y ¼ yc. In particular, the jump in dĉc=dy corresponding
to the jump in u0, across y ¼ yc remains unknown. It
follows there is no unique solution in the whole flow
domain for the function ĉcðyÞ. The critical-line singu-
larity must therefore be resolved not only to remove
the local singular behavior in certain physical quan-
tities but also to determine the structure of the waves
over the whole flow.

Absorption–Reflection

To note the implications of the critical layer for the
waves elsewhere in the flow, it is useful to focus on the
following geometry, shown in Figure 1. Assume that
the waves are forced at some large positive value of y,
with phase speed c ¼ 0; i.e., the waves are stationary.
Assume also that the flow speed UðyÞ is positive in
y > 0 and negative in yo0, so that the waves have a
critical line at y ¼ 0, and that the curvature term
d2U=dy2 is not too large (so that b� d2U=dy2 is
positive). Equation [3] predicts that the function ĉcðyÞ
is oscillatory in y > 0, implying that there are prop-
agating waves (as expected from the basic properties
of Rossby waves). In yo0, on the other hand, the
function ĉcðyÞ is exponentially increasing or decreasing
with y and physical considerations require that ĉcðyÞ
decreases as y decreases, representing evanescent

waves. One feature of the solution that is naturally
of interest is the relative amount of northward- and
southward-propagating waves in the region between
the wave forcing and the critical layer. This measures
the absorption–reflection behavior of the critical layer.
If the critical layer acted as an absorber of waves, the
region between the forcing and the critical line would
contain only waves propagating southward. If it acted
as a reflector of waves, there would be some contri-
bution to the solution in this region from waves
propagating northward. The reflection could be par-
tial or perfect. Indeed, there could in principle be
overreflection, which would be associated with a
greater proportion of northward-propagating than
southward-propagating waves, implying that the crit-
ical layer was actively emitting waves.

A useful quantitative measure of the wave propa-
gation is the momentum flux, u0v0, where �ð Þ indicates
an average in the x-direction (keeping y and t
constant). u0v0 indicates the correlation between the
two velocity components and the basic properties of
Rossby waves imply u0v0 > 0 for southward-propa-
gating waves and u0v0o0 for northward-propagating
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Figure 1 Schematic diagram of Rossby wave propagation on

a shear flow UðyÞ with a critical line. The flow is positive

(i.e., eastward) in y > 0 (upper portionof the diagram) andnegative

(i.e., westward) in yo0 (lower portion of the diagram). The waves

are forced, with zero phase speed in the x-direction, in y > 0 and

propagate toward y ¼ 0. In yo0 the waves are evanescent (i.e.,

non-propagating and decaying as y becomesmore negative). The

critical line is at y ¼ 0, where UðyÞ ¼ 0. In the neighborhood of

y ¼ 0 the streamlines are closed and form a Kelvin’s cat’s eye

pattern. Thewidth of the closed streamline region, which increases

as thewave amplitude increases, defines thewidth of the nonlinear

critical layer. If dissipation were strong enough, dissipative effects

would dominate over a relatively broad region near y ¼ 0 and the

closed streamlines would essentially be irrelevant to the dynamics.

(The critical layer would then be linear and dissipative, rather than

nonlinear.) There may be some reflected wave in y > 0, but the

amount of reflection can be determined only by considering the

detailed dynamics of the critical layer.
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waves. It follows from eqn [3] that u0v0 is constant in
y > 0, except at the critical line at y ¼ 0. The evanes-
cence of the waves in yo0 implies that u0v0 ¼ 0 there.
However, the value of u0v0 cannot be determined from
eqn [3] alone. Instead, the critical linemust be resolved
into a finite critical layer to allow the jump in u0v0
across the layer, denoted by ½u0v0�þ�, and hence the value
of u0v0 in y > 0, to be evaluated.

The continuity of ĉcðyÞ across the critical-line
singularity suggests that, when the critical line is
resolved into a thin critical layer, c0 and hence v0 ¼
qc0=qx will vary only weakly across the critical layer.
In addition, y-derivatives within the critical layer will
generally be much larger than x-derivatives (because
the layer is thin), implying that z0 ’ �qu0=qy. Putting
these pieces of information together, it follows that eqn
[4] holds, where u0½ �þ� denotes the jump in u0 across the
critical layer, the integrals are taken across the critical
layer, and v0 may be taken as constant within the
second integral.

u0½ �þ�¼
Z

z0dy

and

u0v0 in y > 0ð Þ ¼ ½u0v0�þ� ¼
Z

z0v0dy ½4�

The first equality is the missing matching condition
across the critical layer. The second shows that the
critical layer acts as a net absorber ofwaveswhen there
is (in a y-integrated sense) negative correlation
between z0 and v0 in the critical layer, as a perfect
reflector when there is zero correlation, and as a
net emitter (i.e., an overreflector) when there is
positive correlation.

To summarize, the nonuniqueness in the solution of
eqn [3] left by the critical-line singularity leaves
the absorption–reflection behavior of the critical layer
uncertain. Only by determining the correlation
between v0 and z0 in the critical layer is it possible
to determine the precise absorption-reflection
properties.

The Dynamics of the Critical Layer

The dynamical balance in the critical layer depends on
the parameters of the problem. Consider in turn the
processes that have been neglected in arriving at eqn
[3]. First, it has been assumed that the waves are
steadily propagating, i.e., that their amplitude is not
changing with time. It is possible to analyze the non-
dissipative, linearized equations (eqn [2] with the
right-hand side set to zero) without making this
assumption and to show that the singular behavior
predicted by eqn [3] develops with time. For example,
both the vorticity z0 and the x-component of velocity u0

are predicted to increase without bound. The time-
dependent analysis does not resolve the problemof the
singularity, but it shows that the terms neglected in
going from eqn [2] to eqn [3] inevitably become
important at large times, however small they might
have first appeared.

Second, consider the dissipative term�ar2c0 in eqn
[2]. This may be compared with the advection term
U yð Þ qr2c0=qx. The relative sizes of these terms, near
to y ¼ 0, may be estimated as a= kU0 0ð Þyð Þ, where
U0ð0Þ represents dU=dy at y ¼ 0, and it follows that
the dissipative term cannot be neglected in a region of
size da ¼ a=ðkU0ð0ÞÞ. This is (potentially) the thick-
ness of the dissipative critical layer.

Finally, consider the nonlinear term. It turns out that
the most important part is v0 qr2c0=qy. If this is to
balance U yð Þ qr2c0=qx ’ U0ð0Þy qr2c0=qx in a thin
region of thickness dNL, then v

0=dNL � kU0 0ð ÞdNL, i.e.,
dNL � v0=kU0 0ð Þð Þ1=2. This is (potentially) the thick-
ness of the nonlinear critical layer.

Whether nonlinearity or dissipation is dominant in
the critical layer depends on the relative size of
dNL=da ¼ kv0U0 0ð Þð Þ1=2=a. If dNL=da�1, then the
critical-layer dynamics are dominated by dissipation
and the critical layer thickness is da. If dNL=da � 1,
then the critical-layer dynamics are dominated by
nonlinear processes and the critical layer thickness is
dNL. In the case of Rossby waves in the real atmos-
phere, wave amplitudes are relatively large and
dissipation is relatively weak, so that the nonlinear
dynamics are the most relevant.

The fully nonlinear equations state that zþ by is
conserved following the flow (which is in turn deter-
mined by the z field). If the critical layer is thin, i.e., dNL

is small, there is a simplification because the flow may
be approximated by the superposition of the basic flow
U yð Þ ’ U0 0ð Þy and the y-component of the distur-
bance velocity field, which is simply a function of x,
because of the continuity of c0 across the critical layer.
This superposition gives a flow whose streamlines
form a pattern known as Kelvin’s cat’s eyes, with
closed streamlines near y ¼ 0 (see Figure 1). The
dynamics of the nonlinear critical layer is therefore
that fluid particles are advected around these stream-
lines, conserving their values of zþ by. The rearrange-
ment of the zþ by field changes the z0 field, thereby
changing ½u0�þ� and hence the structure of the waves
outside the critical layer. Furthermore, there is a
corresponding change in the correlation between v0

and z0, which determines the absorption–reflection
properties.

A schematic diagram of the evolution of the
vorticity field in a simple nonlinear critical layer
is presented in Figure 2 and the absorption-reflection
properties are deduced. At early times v0 and z0 are
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anticorrelated and the critical layer acts as an absorber.
If there is strong dissipation, the vorticity in the
center of the critical layer is essentially frozen in
its early-time configuration and the critical layer
continues to act as an absorber at later times. (Detailed
calculation shows that in this early-time/dissipative
regime, the absorption is effectively perfect.) How-
ever, if dissipation is weak, the advective rearrange-
ment continues and, after about half a turn-round
time for the closed-streamline flow, the z0 field in
the center of the critical layer (which gives the major
contribution to the integral) is such that there is
no y-integrated correlation with the v0 field;
that is, the critical layer acts as a perfect reflector.
According to this particular model, the advective

rearrangement continues, to give a positive correla-
tion between v0 and z0 and hence overreflection, and
the critical layer subsequently oscillates between
a weakly absorbing and weakly overreflecting state,
converging to a state of perfect reflection at large
times.

The precise details of the evolution depend on the
particular flow configuration. However, a general
description of absorption–reflection behavior can be
formulated by considering �u0v0 as the flux (in the
y-direction) of wave activity (i.e., a quantity that is
positive when waves are present and zero when they
are not). In the early-time absorbing stage, wave
activity builds up in the critical layer. As the reflecting
stage approaches, the rate of build-up decreases to

(A) (B)

(C)

Figure2 Evolution of the vorticity field in the nonlinear critical layer. The panels showan expanded viewof the vorticity field in the closed

streamline region indicated in Figure 1. Note that this region may be very thin in the y -direction if the wave amplitude is small. Heavy

dashed curves are the bounding closed streamlines. Heavy solid curves are contours of absolute vorticity z0 þ by . Light curves are

contours of wave relative vorticity z0, with solid curves indicating positive values and dashed curves indicating negative values. The three

panels show (A)absorbingstage,wherey -velocityv 0 is negatively correlatedwith z0; (B) reflectingstage,wherecorrelationbetweenv 0 and
z0 is close to zero; and (C) overreflecting stage, where v 0 is positively correlated with z0.
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zero and in the overreflecting stage the critical layer
reemits some of its wave activity. If there is dissipation,
then the flux ofwave activity into the critical layermay
be balanced by local dissipation of wave activity and
an absorbing state may persist.

However, for the critical layer to continue to
act as an absorber without dissipation, the amount
of wave activity in the critical layer must continue
to increase. The total amount of wave activity in
the critical layer may be shown to depend on the
thickness of the region over which the vorticity field
has been rearranged, i.e., the thickness of the critical
layer. If this thickness is finite, there is an upper bound
to the total amount of wave activity that can be stored
there, and it is therefore not possible to sustain
absorption. In such a case, the long-time average of
the flux of wave activity must approach zero and
one can therefore say that the long-time average
behavior is perfect reflection. The only way that
absorption could be sustained in the long-term would
be if the thickness of the critical layer systematically
increased in size.

A complementary viewpoint comes from consider-
ing u0v0 as a momentum flux. In the absorbing stage
½u0v0�þ� is positive, implying that there is a negative
force exerted on the x-averaged flow in the critical
layer. The time-averaged perfect reflection in the case
where dissipation is zero translates into no time-
averaged x-average force exerted on the flow in the
critical layer. (If there were such a force then the
critical line, and hence the critical layer, would move
closer and closer to the wave source.) Sustained
absorption where there is dissipation translates into
a nonzero time-averaged x-averaged force exerted on
the flow in the critical layer, with this force being
balanced by forces provided by dissipative processes
(i.e., by the linear vorticity damping in the model
described above).

The critical layer theory makes clear the nature of
the two-way interaction between the wave propaga-
tion region outside the critical layer and the flow in the
critical layer itself. The waves outside the critical layer
directly determine the flowpattern inside it (because of
the continuity of v0 across the critical layer). However,
inside the critical layer, the flow changes the vorticity
field and hence the jump in u0 across the critical layer,
thereby changing the waves outside it. It is important
to note that there is no wave propagation within
the critical layer itself. The dynamics is simply that
of vorticity advection by a simple cat’s eye flow
whose structure is determined by the waves outside
the critical layer. It is not the case that waves can be
said to propagate into the critical layer and be reflected
by the structure of the flow profile that they encounter
there.

Wave Breaking

The behavior seen in the nonlinear critical layer for
dNL small may be interpreted as an example of the
breaking of Rossby waves. By ‘breaking’ it is meant
that the material contours or surfaces that would, in
wave propagation, be reversibly undulated are strong-
ly and irreversibly deformed. The most familiar
example of wave breaking occurs for surface waves.
There the wave dynamics is associated with the
undulation of the ocean surface. Waves might be
forced in one region (e.g., by a storm) and propagate
through large distances. The presence of the waves in
this propagation stage is associated with distortion of
the ocean surface, but the distortion is weak and
reversible. As the waves enter shallow water in a
coastal region, the distortion of the ocean surface
becomes stronger and, ultimately, complex and irre-
versible and the flowwill become three-dimensionally
turbulent.

Rossby wave propagation involves the reversible
distortion of contours of potential vorticity (absolute
vorticity in the simple two-dimensional context dis-
cussed above). In the critical-layer region, the distor-
tion of these contours is strong and irreversible and the
waves may be said to be breaking. Indeed, in many
cases the flow in the critical layer may be shown to
involve a sort of turbulence (quasi-geostrophic or two-
dimensional), but this is not essential for the behavior
to be described as breaking. As in the surface-wave
case, where the breakingmay allow the waves to drive
systematic long-shore currents, the breakingofRossby
waves allows a systematic force to be exerted by the
waves.

Implications for the Atmosphere

In the nonlinear Rossby wave critical layer described
above there is a clear division (described by simplified
mathematical equations that may be derived by a
formal approximation procedure) between the broad
region outside the critical layer where the dynamics is
wavelike and the thin critical layer itself where the
dynamics is strong advective rearrangement of the
potential vorticity or absolute vorticity field, which
might be calledwave breaking. In the real atmosphere,
the wave amplitudes are very large and the formal
estimate dNL of the nonlinear critical layer thickness is
generally as large as the other length scales in the
problem. The same formalmathematical equations do
not hold. Nonetheless, observations and numerical
models show clearly that there are regions of wave
propagation and regions of wave breaking and that
these exist side by side. There are at least two
important examples.One is in thewinter stratosphere,
where planetary-scale Rossby waves propagate up
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from the troposphere, distort and shift the polar-night
vortex, and break in what is now called the strato-
spheric ‘surf zone’ (which covers a large region of the
mid-latitudes and subtropics). A second example is in
the upper troposphere and lower stratosphere, where
synoptic-scale baroclinic eddies lead to a wavelike
distortion of the subtropical jet and to a wave-
breaking region on the equatorward side of the jet.

Nonlinear critical layer theory provides quantitive
guidance as to how the different regions interact. For
example, it indicates that the wave-breaking regions
may be considered to absorb, reflect, or emit wave
activity and that the waves may have a systematic
effect on the flow in the wave-breaking region.

There have been attempts, based in part on Rossby
wave critical-layer theory to parameterize the effects
of Rossby wave propagation and breaking on the
average flow and on the average distribution of
advected chemical species. These parameterizations
have had most impact in modeling of stratospheric
chemistry, where two-dimensional height–latitude
models remain an important tool for assessment of
chemical change over time scales of many decades.
The trend in chemical modeling is to move to models
that are three-dimensional and explicitly resolve the
Rossbywavedynamics. It is therefore likely that future
development of Rossby wave parameterizations will
not proceedmuch further. In the Rossby wave case the
greatest importance of critical layer theory is as a
paradigm on which to base understanding of complex
flows to which the theory is not formally applicable,
but for which the only possibility of accurate quanti-
tative calculation is full numerical simulation.

Internal Gravity Wave Critical Layers

Description

Critical lines and critical layers arise generically in any
problem of wave propagation in a fluid. Another
example that is particularly important for the atmos-
phere is that of internal gravity waves. This has some
important differences from the Rossby wave case.

Consider the propagation of internal gravity waves
on a background state that has stable stratification
with buoyancy frequency NðzÞ and flow in the
x-direction with speed UðzÞ, where z is height.
Assuming that the flow is incompressible (which is
not necessarily defensible for many atmospheric grav-
ity waves, but the model serves to illustrate important
points that continue over to the compressible case), it
may be shown that the analogue of [3] is eqn [5].

d2ĉc
dz2

þ N2ðzÞ
ðUðzÞ � cÞ2 �

d2U=dz2

UðzÞ � c
� k2

( )
ĉc ¼ 0 ½5�

This equation is known as the Taylor–Goldstein
equation and determines the stability of density-
stratified shear flows, as well as governing the struc-
ture of waves propagating on such flows. Again the
critical-line singularity at U zð Þ ¼ c is manifested by
the inverse powers of U zð Þ�c appearing in the
expression multiplying ĉc. There is an important
difference from eqn [3] in that the one of expressions
contains the factor of U zð Þ � cð Þ2. This means that the
behavior of solutions near the critical-line singularity
is quite different from the Rossby wave case. In fact,
provided thatNðzÞ2=ðdU=dzÞ2 > 1

4 (which is precisely
the condition required for the flow to be stable) the
function ĉcðzÞ oscillates rapidly in z near to the critical
line and the oscillations become infinitely rapid as the
critical line is approached. Indeed there are infinitely
many oscillations before the critical line is reached.
These oscillations are a manifestation of the rapid
shrinking of the vertical wavelength of the wave as the
critical line is approached, due to the tilting of the
wave by the shear. An analogous shrinking of the
wavelength occurs in the Rossby wave case, but there
are only a finite number of oscillations before the
critical line is reached F a subtle and important
difference between this and the internal gravity wave
case. The reason for the difference is that in the
internal gravity wave case decrease in wavelength
gives a stronger decrease in the group velocity (i.e., the
propagation velocity for wave packets). Indeed in the
Rossby wave case the idea of group velocity is simply
not at all useful in the neighborhood of the critical line,
whereas in the internal gravity wave case it is.

Again the critical-line singularity can be resolved
either by dissipation or by nonlinearity, depending on
the relative strengths of the two.One possibility is that
the wave will eventually dissipate. This is possible
however weak dissipative processes might seem, since
the decrease in group velocity as the critical line is
approached means that there is infinite time for the
dissipation to act. Indeed, the wave will dissipate
before the critical line is reached. In this case the
thickness of the dissipative critical layer may be
defined as the distance to the critical line at which
the dissipation occurs, and the critical layer may be
regarded as a wave absorber. If wave amplitudes are
sufficiently large compared to dissipative processes,
however, then nonlinear terms in the equations may
become important before dissipation occurs and,
again, before the critical line is reached. The distance
to the critical line defines the thickness of the nonlinear
critical layer. Here the situation is much more
complicated than in the Rossby wave case. For
example, it is not possible to argue that the velocity
component in the z-direction (analogous to v0 in the
Rossby wave case) is continuous across the nonlinear
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critical layer (and therefore independent of z within
the critical layer). If governing equations for the
nonlinear critical layer are derived, they are essentially
the full nonlinear governing dynamical equations,
with a slight simplification because the structure is
very thin in the z-direction. The critical-layer dynam-
ics is therefore a complex juxtaposition of wave
propagation and nonlinearity. Furthermore, if nonlin-
earity is important it is also almost inevitable that there
will be the potential for gravitational instability and
therefore, in reality, breakdown of the flow into
complex three-dimensional turbulence. For this rea-
son there are few clear results on the evolution of the
nonlinear internal gravitywave critical layer, although
it is believed that some nonlinear reflection effect is
possible.

Implications for the Atmosphere

Dissipation and breaking of internal gravity waves as
they approach critical lines is potentially an important
process in the atmosphere, since it implies the possi-
bility of wave-induced forces. Breaking may also be
caused by the decrease of density with height, which
leads to a corresponding increase in wave amplitudes.
However, there is little doubt that breaking at (ormore
strictly near) critical lines also plays a major role. For
example, the mechanism for the equatorial quasi-
biennial oscillation in the stratosphere requires selec-
tive filtering, breaking, and dissipation of waves
(depending on their horizontal phase speed) by the
background flow. Such waves are believed to arise
primarily from convection in the tropical troposphere
(on a whole range of different scales). Observations
confirm the expected relation between the phase speed
of the waves observed at a particular height and the
background flow at lower levels, through which they
would have propagated.

Critical-line/critical-layer behavior is an important
ingredient of gravity-wave parameterizations that
seek to represent the effects (primarily the wave-
induced forces) of small-scale gravity waves in global-
scale numerical models. Such parameterization is

essential for useful simulation of the stratosphere
and mesosphere. One very simple parameterization
would be that, for a spectrum of upward-propagating
gravity waves, each component of the spectrum
dissipates at its critical line and therefore gives rise to
a force at that location. In practice, some kind of
breaking criterion is applied so that waves break
before the critical line is reached. Almost all current
parameterizations assume the equivalent of critical-
layer absorption. If critical-layer reflection had to be
taken into account then it would greatly increase the
complexity of the parameterization problem.

See also

Dynamic Meteorology: Overview; Waves. Middle At-
mosphere: Gravity Waves; Planetary Waves; Quasi-
Biennial Oscillation. Rossby Waves. Wave Mean-Flow
Interaction.
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Introduction

Cyclones are associated with horizontal winds circu-
lating in the same sense as the local vertical component

of planetary rotation; this circulation is clockwise in
the SouthernHemisphere and counterclockwise in the
Northern. Cyclogenesis is defined as the formation
and amplification of cyclones. The emphasis here will
be on cyclogenesis in the extratropical latitudes, near
the westerly jet streams; i.e., poleward of about 301
latitude. Extratropical cyclones (hereafter, cyclones)
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are responsible for organizing significant short-term
weather, such as cloud and precipitation patterns.
Cyclones are also crucial components of the Earth’s
climate systembecause they regulate the pole–Equator
temperature contrast, stabilize the density stratifica-
tion, and maintain the westerly winds in midlatitudes
against frictional dissipation.

Cyclones have horizontal length scales on the order
of about 500–2500 km and may span the depth of the
troposphere (B10 km). When compared with an
undisturbed environment, cyclones are associated
with relatively lower pressure (B� 10 hPa), circulat-
ing winds (B10m s� 1), relatively warm air (B10K),
and rising air (B10 cm s� 1). The wind field is nearly in
geostrophic balance, so that the wind flows parallel to
lines of constant pressure and the wind speed is
proportional to the magnitude of the horizontal
pressure gradient (the spacing between the pressure
contours). Cyclones also represent locally large values
of other quantities that are derived from the wind,
temperature, and pressure fields, such as: kinetic
energy, vorticity, and potential vorticity. Vorticity pro-
vides a local measure for the rotation rate of the wind.
Potential vorticity is approximately the product of
vorticity and a measure of density stratification; it gives
the vorticity that a sample of air would have (i.e.,
potentially) if taken to a reference latitude and rear-
ranged adiabatically to a referencedensity stratification.
Potential vorticity (PV) plays a central role in the
modern understanding of cyclogenesis, and is reviewed
below under ‘Dynamics of Cyclone Development’.

Basic Facts and Definitions

Cyclones canbe categorizedwith regard to the thermal
structure of the atmosphere near their centers. Warm-
core cyclones are strongest near the Earth’s surface
(hereafter, surface) andweakenwith height. Cold-core
cyclones are strongest near the tropopause and weak-
en toward lower height. Extratropical cyclones can be
viewed as an amalgam of warm- and cold-core
cyclones, with a warm cyclonic circulation at the
surface and a cold cyclonic circulation near the
tropopause. These circulations are not aligned verti-
cally, but are displaced laterally by hundreds of
kilometers in developing cyclones. This configuration
allows the disturbance to extract energy from the jet
stream.

Since the atmosphere near cyclones is in, to very
good approximation, hydrostatic balance (vertical
pressure-gradient forces balance gravitational forces),
cyclogenesis implies that there is a net loss of mass
from an imaginary column of air over the surface
cyclone. This loss of mass accounts for the drop in

surface pressure, and is associated with net divergence
of air from the air column. Frictional drag at the
surface disrupts geostrophic balance, so that the near-
surface winds converge toward low pressure. There-
fore we can conclude that upper-level divergence must
be important for cyclogenesis. Moreover, since the
atmosphere is nearly incompressible on horizontal
length scales typical of cyclones, lower-level conver-
gence and upper-level divergence are linked by mass
continuity to upward air motion in the troposphere.

It is reasonable to assume the existence of a
constant-pressure surface, P0, in the stratosphere
that is undisturbed by the cyclone. Decreasing surface
pressure during cyclogenesis implies that the thickness
between a constant-pressure surface near the ground
and P0 increases; i.e., the layer is warming with time.
Falling pressure in the cyclone center also implies that
the magnitude of the pressure difference between the
cyclone center and the surrounding environment, and
therefore the geostrophic wind speed, also increases
with time.

These deductions on cyclogenesis, based on geo-
strophic and hydrostatic balance, are self-consistent;
however, they do not reveal why or how these changes
come about. Further analysis of the time variation of
individual quantities, such as surface pressure, are
incomplete, since, importantly, all quantities are
dynamically related. An analogy for this difficulty
considers analyzing a moving automobile to discover
the process responsible for locomotion. One might
consider the decreasing mass of gasoline in the fuel
tank as a crucial aspect for locomotion, rather than as
a diagnostic indicator for the action of the internal
combustion engine. Fortunately, the dynamics of
cyclogenesis can be concisely described in terms of a
single quantity that implicitly incorporates all others:
the potential vorticity. Before considering the dynam-
ics of cyclones, it will prove useful to document the
evolving structure of a typical cyclone.

Structure of Developing Extratropical
Cyclones

Cyclones originate on zones of horizontal temperature
contrast that are located in the vicinity of the extra-
tropical jet streams (Figure 1A); occasionally, the
temperature contrast is concentrated in a narrow
frontal zone. The nascent cyclone appears as a region
of low pressure downwind (following upper-level
winds) from a preexisting upper-level disturbance
called a short-wave trough. This horizontal displace-
ment between the surface cyclone and the short-wave
trough is required for the disturbance to extract energy
from the jet stream. Viewed on a level surface, the
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upper-level disturbance appears as a trough of low
pressure or, equivalently (as shown in Figure 1), as a
trough of low geopotential height (or, simply, height)
on a constant pressure surface. These features
are referred to as short-wave troughs because their
1000–2000 km horizontal length scale compares with
greater than 5000 km for so-called long-wave troughs.
The short-wave trough is actually a manifestation of a
downward displacement of the tropopause, with large
values of stratospheric PVextending to lower altitude.
(PV is typicallymuch smaller in the troposphere due to
less-stable density stratification.) A region of large
wind speed often can be found near the trough when
the flow is not strongly curved – this feature is called a
jet streak, since it represents a local region of strong
winds within the jet stream.

As the cyclone continues to deepen, warm air
advances poleward and cold air advances Equator-
ward – the leading edge of these advancing air masses

marks the location of surface warm and cold fronts,
respectively (Figure 1B). Warm, moist air flowing
poleward rises at the warm front up and over the
colder, denser, air at low levels, producing a wide-
spread region of precipitation. Cold, dense air associ-
ated with the cold front displaces warmer air at the
cold front, producing a narrow band of precipitation.

Eventually, the cyclone separates from the surface
warm front and migrates toward the cold air forming
an occluded front. The deepening rate of the cyclone
slows during this time, and eventually ceases when the
surface cyclone and upper-level trough are nearly
coincident in the vertical (Figure 1C). Viewed from an
energy perspective, cyclogenesis represents a conver-
sion of potential energy associated with horizontal
temperature contrasts into kinetic energy. Cyclogen-
esis is a thermally direct circulation with warm air
rising as it flows poleward, and cold air sinking as it
flows Equatorward. A net result of this process is a
reduction in the pole–Equator temperature contrast
and more-stable density stratification (dense air un-
derlying less-dense air). A typical duration for the
cyclogenesis process depicted in Figure 1 ranges from
about 12 to about 60 h.

Dynamics of Cyclone Development

Cyclogenesis is associated with the development of
disturbances in the fields of wind, temperature, pres-
sure, and density. Deriving a comprehensive dynam-
ical understanding of cyclogenesis in terms of the
temporal variation of each of these quantities is
laborious and redundant, since these quantities are
dynamically related. This difficulty is overcome
through two simplifications that engender concise
and deep insight: approximating the dynamical equa-
tions (using the quasigeostrophic approximations)
and casting the resulting equations in terms of a single
variable, the potential vorticity (PV).

Quasigeostrophic Dynamics

The observations that cyclones are nearly in geo-
strophic and hydrostatic balance motivates adopting
quasi-geostrophic (QG) dynamics, which represent a
simplification of the actual governing equations. The
important result for our purposes concerns the fact
that the entire QG system can be formulated in terms
of PV, assuming adiabatic and frictionless conditions:

DgQ ¼ 0 ½1�

where Dg is the time rate of change following the
geostrophic motion.Q is the PV, which in theQG case
is the sum of geostrophic vorticity and a measure of
static stability, except at the surface where Q is

(A) (B)

(C)

Figure 1 Schematic illustration of a developing extratropical

cyclone. Heavy solid lines give contours of 500hPa geopotential

height; thin solid lines give contours of 1000hPa geopotential

height; dashed lines give contours of 500–1000hPa thickness,

which is proportional to themean temperature in the 500–1000 hPa

layer. Fronts are denoted by heavy solid lines with filled half-circles

and triangles. (A) shows the early stages of development,

(B) shows the mature stage, and (C) shows the occluded stage.

(Reproduced with permission from Palmén E and Newton CW

(1969) Atmospheric Circulation Systems: Their Structure and

Physical Interpretation. New York: Academic Press.)
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proportional to temperature. CyclonicQ has the same
sign as the local vertical component of planetary
rotation – positive in the Northern Hemisphere and
negative in the Southern. At the surface, cyclonicQ is
associated with relatively warm air.

Note that eqn [1] is a simplified version of a more
general relation that applies to the unapproximated
governing equations. Equation [1] indicates that PV is
conserved (i.e., unchanging) following the geostrophic
motion, and that QG dynamics are simply described
by the rearrangement of PV. From this perspective, all
other quantities (pressure, temperature, etc.) can be
viewed as subservient to PV in that, it should be
emphasized, they evolve so as to conserve PV. SinceQ
cannot be measured directly, it may seem less gratify-
ing than quantities such as pressure and temperature.
However, one may imagine that a discovery of ‘PV
meters’ prior to barometers and thermometers would
perhaps have rendered pressure and temperature as
foreign and contrived quantities!

A second important fact about PV is that all other
variables can be recovered from it through a process
called inversion:

I ðQÞ ! ~VVg; w; P; T ½2�

where ~VVg is the geostrophic wind, w the vertical
component of the wind, P pressure, and T tempera-
ture. Inversion I can be performed analytically for
simple distributions of Q, and otherwise can be
performed numerically; the details are unimportant
here. A useful illustration of inversion applies to a
small sphere of cyclonicQ, which can be viewed as an
elemental building block from which arbitrarily com-
plex flow patterns can be constructed. Application of I
to this small sphere shows that relatively low pressure
is found in and around the sphere, a cyclonic
geostrophic wind field is found around the sphere,
and relatively warm (cold) air is found above (below)
the sphere. These patterns have largestmagnitude near
the sphere, and weaken with distance in all directions.
The fact that the fields of wind, temperature, etc.,
extend far from the small sphere is fundamental
to understanding how atmospheric disturbances
interact.

More complicated flow patterns can be recovered
from this simple example by summing the contribu-
tions from PV in all locations. This ‘superposition
principle’ allows one to rigorously decompose the
atmosphere into essential components, and to diag-
nose dynamical interactions among the components.
For example, the following section shows how the
dynamics of cyclogenesis are given by an interaction
between the tropopause PV disturbance and the
surface cyclone.

A Potential Vorticity Schematic of Cyclogenesis

Figure 2 gives idealized schematics of the dynamics of
cyclogenesis in vertical cross-section and plan view. In
the vertical cross-section view, a depression of the
tropopause gives a local blob of cyclonic PV on level
surfaces (Figure 2A; note the plus sign). This PV
disturbance is associated with the 500 hPa short-wave
troughnoted inFigure 1. There is lowpressure near the
PV disturbance and a region of cold air below it in
accordance with the simple example given previously.
(Note that the upward bulge in the isentropic surface is
due to the fact that potential temperature increases
with height in a stably stratified atmosphere.) Low
pressure at the surface is located near relatively warm
air downwind of the upper-level low pressure
(cf. Figure 1). In contrast, the temperature disturbanc-
es tilt downwind with height; this configuration is
necessary to achieve a conversion of potential to
kinetic energy.

Up
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W
Stratosphere

+

L

C

W

C W

H L

Pole
H + L T

T + δT

(A)

(B)

E

Figure 2 Schematic illustration of potential vorticity concepts

applied to cyclogenesis. (A)East–west vertical section showing the

tropopause (thick solid line), the surface (thick cross-hatched line),

a lower-tropospheric isentropic surface (dashed line), and the air

circulations required to conserve potential vorticity for the typical

case where westerly winds are increasing from the surface to the

tropopause. Regions of relatively warm and cold air are given byW

andC, respectively, and regions of relatively low and high pressure

are given by L and H, respectively. (B) Horizontal plan view

showing the surface isotherms (solid lines), surface wind associ-

ated with the upper-level PV disturbance (dashed lines with

arrows), and surface wind associated with the surface cyclone

(solid lineswith arrows). In both (A) and (B), the plus sign shows the

location of the PV disturbance due to the lowered tropopause.
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The arrows in Figure 2 show the air circulations
necessary to conserve PV for the typical case where
westerly winds are increasing from the surface to the
tropopause. Air converges into the cyclone near the
surface and then rises toward the tropopause where it
diverges. Conversely, on the upwind side of the PV
disturbance, air converges near the tropopause and
then sinks toward the surface where it diverges near
the surface anticyclone.Note that a reverse circulation
exists in the lower stratosphere, and is only hinted at in
Figure 2. Downwind of the PV disturbance, these
circulations raise (lower) the isentropic surfaces below
(above) the level of the disturbance in order to
conserve PV as the westerly winds transport the PV
blob eastward.

In plan view, the horizontal wind field due to the
upper-level PV disturbance extends downward to the
surface and contributes to the poleward (Equator-
ward) transport of warm (cold) air near the surface
cyclone (anticyclone) (Figure 2B; note that this illus-
tration applies to the Northern Hemisphere). These
transport patterns amplify the surface cyclone by
warming the center of the cyclone (or, an increase in
surface PV, since relatively warm air at the surface
represents cyclonic PV). In contrast, the horizontal
wind field due to the surface cyclone produces
temperature transport patterns that are out of phase
with respect to the surface cyclone. These transport
patterns are responsible for propagating the distur-
bance toward the east. Similar interpretations apply
near the tropopause, assuming that the PV increases
horizontally toward the pole, as is typical. Near the
tropopause, winds attributable to the surface cyclone
amplify the upper-level PV disturbance, and winds
attributable to the upper-level PV disturbance propa-
gate the disturbance toward the west, relative to the
westerly winds.

Finally, we note that diabatic heating can be
accounted for within the PV framework. Diabatic
heating contributes to the generation of the PV
disturbances (non-conservation of PV, or a source
term on the right-hand side of eqn [1]), with a cyclonic
PV disturbance below, and an anticyclonic PV distur-
bance above, a region ofmaximumwarming. Since the
cyclonic PV disturbance below the heating is in close
proximity to the surface, it contributes to a reduction
in the cyclone surface pressure and enhances thewinds
at the cyclone center.

Theory of Cyclogenesis

The leading theory of cyclogenesis, baroclinic insta-
bility, posits that the westerly jet streams in the
extratropics are unstable to infinitesimal disturbances

that grow exponentially in time. The most rapidly
growing disturbances in this theory are waves in the
horizontal direction, and they have maximum ampli-
tude at the tropopause and surface. For typical
extratropical conditions, these disturbances have
horizontal wavelengths around 4000 km, propagate
at about 15m s� 1, and double their amplitude
over slightly less than one day. These characteristics
are qualitatively in accord with observations,
although the growth rate may appear to be too slow
to account for the development of observed cyclones
from infinitesimal perturbations over a 48 h time
period.

Objections to Baroclinic Instability Theory

When surface friction is introduced to the baroclinic
instability theory, the already small disturbance
growth rates become even smaller. In fact, some
research suggests that the jet streams are stable
to baroclinic instability; in other words, the growing
disturbances do no exist. Another objection points
to the fact that observed cyclogenesis events proceed
from preexisting large-amplitude disturbances
on the tropopause, not infinitesimal noise. More-
over, cyclogenesis events tend to be highly localized in
the horizontal, not plane waves as in baroclinic
instability theory, and the vertical structure of
observed cyclones tends to change with time as
compared with the fixed structure of an unstable
disturbance.

A second theory for cyclogenesis attempts to
account for the noted deficiencies by employing
disturbances having structures and growth rates that
change in time. Although these disturbances decay
over long time intervals, they can produce very large
growth over short time intervals. The theory for
optimal perturbations formalizes the search for dis-
turbances that have the largest growth over short time
intervals, such as 48 h.An amazing result of this theory
is that even in cases where friction is sufficiently strong
to stabilize a particular jet stream to baroclinic
instability, optimal perturbations may still exhibit
large growth over the time interval characteristic of
observed cyclogenesis. Although the rapid growth and
time-varying structure of optimal perturbations make
them appealing candidates to explain observed cyclo-
genesis, there is at present no evidence to support such
claims.

Reconciliation of Baroclinic Instability Theory with
Observations

Careful examination of observations and the stability
properties of observed flows together indicate that
baroclinic instability theory can in fact account for
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observed cyclogenesis, once two factors are taken into
consideration. First, observed precursor disturbances
tend to be localized in the horizontal direction, which
means that a sum of disturbances, rather than a single
disturbance, should be considered; the sum allows for
a localized disturbance through cancelation of the
components away from the local maximum. Second,
these localized disturbances have large, not infinites-
imal, amplitude (cf. Figures 1 and 2). An initial distur-
bance of modest initial amplitude comprising an
unstable component can grow over a few doubling
times to account for the amplitude of observed
disturbances.

It is clear, however, that other factors not empha-
sized here play a contributing role in cyclogenesis; for
some cyclones this role may be essential. For example,
diabatic heating appears to contribute positively to
cyclogenesis in many cases. Another potentially im-
portant process involves the transfer of heat and
moisture from the sea surface during oceanic cyclo-
genesis. Themost intense andmost rapidly developing
cyclones are found over the western North Atlantic
andNorth Pacific oceans, where strong ocean currents
maintain regions of large horizontal temperature
contrast in the lower troposphere. Another important
effect in these locations is due to cold continental air
flowing over relatively warm water, which results in
weak static stability. Weak static stability reduces the
doubling time for baroclinic instability andmay allow
greater latent heat release through stronger upward air
motion andprecipitation.Orographic barriers are also
important in initiating or enhancing cyclogenesis,
owing to the strong adiabatic warming that occurs in
the lee when air flows over the mountains. Cyclones
often form in the lee of major mountain barriers and
then move downwind.

Another energy source contributing to cyclogenesis
involves a transfer of existing energy from upwind
disturbances. Since the disturbances propagating
along the jet stream are strongly dispersive Rossby
waves (phase speeds vary with wavelength, so that a
groupofwaveswith similarwavelengthdoes notmove
at the phase speed), the energy in these disturbances
can radiate away from existing disturbances. This
energy radiation can contribute to a sequence of
cyclogenesis events through a process known as
downstream development.

See also

Baroclinic Instability. Cyclones, Extra Tropical. Dy-
namic Meteorology: Balanced Flows; Overview. Jet
Streaks. Quasi-geostrophic Theory. Synoptic Mete-
orology: Forecasting; Weather Maps. Tropopause.
Vorticity.
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Introduction

One or two days of mild air temperature and the next
day the air feels cold, even chilly; dark, low clouds
persist for an entire day together with continuous
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rainfall or snowfall and then a spell of interwoven
showery and sunny hours follows; a day of calm or
breezy air, and the next day long hours of howling
winds; storms: mid- and high-latitude weather is
characterized by these contrasts that take place on
a time scale of the order of one day or few days. Most
of these changes in the temperature, wind, and sky
are the effects of extratropical cyclones. They occur at
all seasons, but are most frequent in autumn
and winter. They are the main purveyors of water, so
that agriculture and many human activities would not
be possible without them. At the same time, some of
them are deadly, destroying trees and damaging
buildings.

Extratropical cyclones look like large cloud-covered
vortices when seen from space. Figure 1 is an example
of extratropical cyclone followed over a period of
two days. A series of surface pressure maps overlaid
on infrared composite satellite images introduce
the most basic features of such a weather system.
The characteristic horizontal scale is of the order
of 2000 km and the system travels across the North
Atlantic ocean.While the pressure at the core deepens,
the clouds expand, until the system appears no longer
to change much and spins: extratropical cyclones go
through a life cycle, appearing, growing, and later
dying.

Several other aspects of that same extratropical
cyclone will be presented. Since extratropical cyclones
are ubiquitous in mid-latitude meteorology, they have
been studied for a long time. Several models and
paradigms, some of them very well known, have been
proposed to describe or explain these systems; the
most recent ones will be reviewed. An up-to-date
climatological description of North Atlantic cyclones
will provide the current observational picture, com-
pleting the single example description and under-
pining the strengths but also the shortcomings of
existing conceptualizations. A summary of the main
physical mechanism of cyclone development will be
given. All these descriptions rest on looking at
characteristic, coherent shapes in fields such as those
of temperature or wind. It is also possible to picture
extratropical cyclones in terms of air streams flowing
into or out of them. This overview will be concluded
by looking at the larger-scale picture and discussing
facts and ideas relating to the role of extratropical
cyclones in the general circulation.

Example of Cyclone Life Cycle

The example introduced with Figure 1 is one well-
observed case. After briefly indicating how this has
been done, further aspects of its features are presented.

Figure 1 Example of mid-latitude cyclone over the North-Atlantic ocean, in February 1997, shown every 24h. The images are

composite infrared pictures from NOAA GOES and EUMETSAT METEOSAT geostationary satellites. The fields are mean-sea-level

pressure from a 4D-VAR reanalysis of all the available data, drawn every 5 hpa. Location marks of the trajectory are placed every 12h.
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Observing Extratropical Cyclones

Oneway to properly describe extratropical cyclones is
to gather scientists, instruments, and platforms within
an international project. There were several such
initiatives in the 1980s and 1990s. One of them is
called the Fronts and Atlantic Storm-Track Experi-
ment. All countries around the North Atlantic basin
have been involved, some of them quite heavily:
Canada, France, Iceland, Ireland, the United King-
dom, the United States, and others. Its observational
phase took place in January and February 1997. The
unique feature of this particular example was that its
observational grounds were the whole of the North
Atlantic ocean because its main experimental objec-
tive was to track a number of cyclones throughout
their life cycles.

Radiosoundings were reinforced on the lands
around the oceanic basin. Ships held positions along
the 301W meridian, moving north and south to
remain in the vicinity of the Atlantic jet stream
(otherwise, it can be shown that their data are
practically useless). Aircraft were based on both sides
of the ocean. About 10 cases have been successfully
tracked at several key times of their evolution.
The example already glimpsed in Figure 1 is Low 30,
a cyclone that formed on 4 February off
New York and retired three days later off the North
Cape, Norway, 5000 km away (Figure 2). The
observational strategy of FASTEX was to operate
observing platforms in sequence, along the track of the
cyclone. The most frequently used instruments were
dropsondes thrown out of aircraft and measuring
horizontal wind, pressure, temperature, and relative

humidity during their fall. Ships sent similar sondes,
but upward, tied to balloons. Themature cloud system
of the cyclones was also sampled with sophisticated
airborne Doppler radars on the eastern side of the
ocean.

The data, in particular all the profiles (about 9000
for the two months), have been checked, sometimes
corrected, and put into an Internet-accessible data
base open to all. In order to combine together these
profiles and other sources into coherent fields, these
data have been assimilated, the last and best reanalysis
having been performed at Météo-France using the
sophisticated four-dimensional variational scheme it
has developed with ECMWF. This scheme associates
data with various realistic dynamical constraints,
taking into account uncertainties associated to each
source.

Low 30 from FASTEX

Figure 1 shows that, as the pressureminimumdeepens,
somewhat unorganized cloud bands off the east coast
are shaped into a large and deep cloudy area on
the fore side, called the cloud head. The low is trailed
by a more bandlike cloud feature that is read-
ily identified as a cold front. The characteristic scale
of the cloud head is about 1500–2000 km. This
particular system becomes quite meridionally
elongated as it moves north-eastward across the
ocean. An interesting feature is the late development
of a secondary spiral of clouds just south of the main
system.

The low level thermal field shows a well-defined
preexisting area of transition from warm to cold

Figure 2 A schematic of the deployment of observational platforms to follow the life cycle of Low 30, shown in Figure 1, during the

FASTEX project. The balloons symbols mark the location of radiosounding stations. The darker they are colored, the most frequent were

the soundings, from 12-hourly to 3-hourly. The ships are also intensive radiosounding locations. In addition to the cyclone tracks, some of

the flight tracks are also shown.
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already orientated along a north-east axis (Figure 3).
This is the signature of what is here called a baroclinic
zone. This transition is clearly reinforced in the
vicinity of the cyclone center during roughly the first
half of the evolution. Fronts correspond to these
limited zones of stronger changes of temperature.
Significant wind changes also take place in those same
areas. The vorticity field is one way to bring out these
changes. Vorticity is a measure of the rotation or spin
due to the wind.

The pressure field is the oldest way to spot a cyclone
F indeed it is sometimes called a depression F but,
as can be seen in Figure 1, the pressure field also shows
a large quasi-permanent south–north change.
This strong background organization masks the
cyclone’s own signature. The vorticity field, on
the other hand, allows a measure of the intensity
of a cyclone that does not have this problem. Vorticity
is a property of the wind that measures the local spin
it induces: cyclones are well-defined maxima of
relative vorticity. Plotting the time-series of low-
level vorticity in the core of Low 30, it appears
that it has been through two well-separated growth
phases (Figure 4). This behavior has been observed
in about half the cases observed in FASTEX, which
did not use a random selection but chose active
cases.

It is important to pay attention to some upper-
level fields as well (Figure 5). The wind has been
plotted only above a threshold value of 40m s�1;
this provides a good visualization of the jet stream.
Its close association with the background thermal
change shows that the jet stream is another key feature

Figure 3 The low-level (about 1.5 km above the surface) structure and environment of the mid-latitude cyclone shown in Figure 1. The

fields aremoist potential temperature y0w at 850hpa (thin brick red lines, contour interval 2K) and relative vorticity (heavy purple solid lines,

contour interval 5�10�5 s� 1 above 5� 10� 5 s� 1). The system of interest is highlighted by shading of the corresponding vorticity

maximum.
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Figure 4 Evolution of the maximum vorticity z at 850 hpa at the

core of the extratropical cyclone shown in Figures 1, 3, and 5. It

provides a better measure of the cyclone’s own amplitude than the

minimum central pressure. (Adapted from Baehr Ch, Pouponneau

B, Ayrault F, Joly A (1999) Quarterly Journal of the Royal

Meteorological Society 125: 3469–3494.
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of a baroclinic zone. The wind field is shown at
the tropopause defined with potential vorticity;
since the latter is a conserved property, it is a kind
of material surface. But this surface has a complex
shape, as shown by its geopotential height. An upper-
level signature accompanying the cyclone in the
first half of its life cycle is easy to see. It is a
well-defined upper-level trough that also amplifies
but moves at its own phase speed, slower than
that of the cyclone. A key thing to note on this
case is that this upper-level feature definitely pre-
exists.

Indeed, on 3 February at 1200 UTC, it is above the
Great-Lakes, but without any significant signature
either in the satellite image or the surface pressure field
(Figure 6). It is when this feature closes on the
acceleration area of the jet stream that Low 30 takes
shape.The interactionbetween the upper-level trough,
the baroclinic zone, and the developing cyclone fits
well with the first growth phase. The cyclone then
seems to escape away from the upper-level trough
during the decreasing phase. The final growth stage
coincides with the cyclone crossing the baroclinic zone
from the warm to the cold side, without a clear
independent upper-level vortex-like feature being
involved. The various phase relations are best seen in

a framework moving with the low-level cyclone, as
shown by Figure 7.

Recent Past Conceptualizations
of Extratropical Cyclones

The evolution of the understanding of extratropical
cyclones is tied to the progress of two areas: better
observations on the one hand, and on the other
the introduction into meteorology of new mathe-
matical tools for physics, allowing assumptions
and their consequences to be quantified and checked.
From that point of view, early attempts using concepts
like the thermal cyclone or the polar front cyclone,
although seminal in some respects, have not been very
successful.

Upper-Level Induced Development Model

The emergence of operational meteorology accompa-
nying the development of aviation led to better-
coordinated observational networks. The surface
measurements benefited from the first ships able to
hold a fixed location in the ocean. Most importantly,
upper-air observations over continents became more
frequent; they used sondes attached to balloons.

Figure 5 The tropopause level structure and environment of the mid-latitude cyclone shown in Figures 1 and 3. The fields are the

geopotential height of the constant potential vorticity surface P ¼ 1:5 pvu (solid lines, contour interval 1000mgp) and the wind vector

plottedwith the standardmeteorological conventionswhen the velocity is larger than 40ms� 1. The systemof interest is highlightedby the

shaded low level vorticity maximum of Figure 3.
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Figure 6 The situation preceding the development of the extratropical cyclone shown in Figures 1,3 and 4, showing the upper-level

precursor and its environment. Although it is well organized at the tropopause, there are few associated features elsewhere. The fields in

the top panel are as in Figure 1, in the middle panel as in Figure 3, and in the bottom panel as in Figure 5.

6/2/1997 0000UTC 7/2/1997 0000UTC5/2/1997 0000UTC

Figure7 Several fields showing the extratropical cycloneofFigures1, 3, and4 and its environment in a frame centeredon the low-level

core of the cyclone and rotating so that the horizontal axis remains roughly parallel to the mean isotherms. The fields are the 850 hpa

relative vorticity (heavy lines, same contouring as in Figure 3, system of interest shaded); the tropopause level vorticity (light lines, same

contouring); and the tropopause wind field above 40ms�1.
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Radiosondes transmitting their data while ascending
were introduced, removing the need to recover the
recorded measurements after the balloon burst and
the sonde fell in some unlikely place. In 1935, a
‘coordinated ascents’ experiment on the scale of
western and northern Europe took place. For the first
time, a few mature cyclones were sampled in three
dimensions.

The upper-level structure of the flow about extra-
tropical cyclones was then quite clearly obtained. The
wind increased with height much more rapidly near
the cyclone center than away from it. A very clear
vertical tilt with height of the minimum pressure
location was definitely shown to exist. It took some
time to make something of the wind distribution:
ultimately, andwithmuch further observations, it was
recognized to be organized in meridionally localized
streams of air, called jet streams. But the importance of
the vertical tilt and the related upper-level mass
distribution was grasped very quickly, partly because
it had been anticipated both with observations and
theoretically on several occasions before.

Several approaches have since been developed. One
is called ‘development’. This had been outlined shortly
before the 1940s by the British scientist Sutcliffe, who
proposed that the emergence and amplification of a
surface cyclone resulted from the influence of a
preexisting upper-level trough in a broad baroclinic
zone (rather than an extreme front). This view is
supported by simplifying fundamental equations,
rather than linearizing them, and concentrating, in
particular, on vorticity dynamics. In problems where
rotation is important, looking at vorticity is a good
tactic.

Along this line of thought, the German meteorolo-
gist Kleinschmidt put some flesh on the concept of the
upper-level component of an extratropical cyclone
and its relation to vorticity. Using the homogeneous
and extended network of radiosoundings available
over Europe in 1943, he built a striking three-
dimensional picture of this structure. Furthermore,
he gave the description in terms of a quantity akin to
vorticity and called potential vorticity. He particularly
undertook to show that, under certain assumptions, it
is possible to derive the wind and temperature
distributions from that of potential vorticity, a process
called inversion.

Sutcliffe and Kleinschmidt are, together with the
Norwegian Petterssen and a few others, representa-
tives of a school of thought that made the most
of available observations to conclude that cyclones
are largely caused by finite-amplitude interactions of
some pre-existing ‘structures’: vertically confined
vortices, baroclinic zones or jet streams, fronts, and
the like. However, until recently, they represented a

minority among those attempting to understand
cyclones.

Upper-Level Jet, Baroclinic Zone, and Baroclinic
Instability

The school of Sutcliffe, Kleinschmidt, Petterssen, and
others was in a minority because an elegant mathe-
matical frameworkwas set up in parallel and attracted
most of the attention. Discarding the unrealistic
extreme front model, Charney in California and
Eady in England applied, in the early 1940s, the linear
stability technique to the study of the properties of a
simple broad baroclinic zone. This is an area of
continuous and moderate transition from warm to
cold air, which, as a consequence of rotation, is
accompanied by a zonal wind increasing with
height F an idealized form of the upper-level jet
stream. This basic or initial flow indeed fits the
observed average flow at mid-latitudes much more
reasonably than the extreme front model. This
problem can be idealized to a point that allows
analytical solutions to be derived that still share
some properties with real cyclones. Most notably,
the vertical tilt with height is part of the most unstable
solution, together with reasonable spatial scales. This
is the baroclinic instability theory of cyclogenesis.

These similarities made linear studies the preferred
path to explaining natural phenomenon like the
growth of cyclones. Most textbooks on dynamical
meteorology depend heavily on linearized equations
and stability problems. Very elegant general existence
theorems have been derived.

Because it is so elegant and appealing to mathema-
tically oriented minds, the instability model domi-
nated the theoretical scene throughout the 1950s
and 1960s. But because part of its elegance comes
from mathematical tractability, only extremely idea-
lized problems can be studied and the relationship
with observations is the weak spot of all of this work.
As a consequence (or measure) of this, the results have
had little impact on practical forecasting aside from
some guidelines for interpreting numerical model
output.

Quasi-Geostrophic Model and Theoretical Results

In the early version of the instability approach, subtle
simplifications were introduced at key points in the
derivation, limiting the number of solutions. This
practice is in fact very powerful as far as gaining an
understanding is concerned. It was soon reconsidered
more formally by Charney in terms of a scale analysis
of the basic equations; this is called filtering on the
basis of a balance assumption. A simplified set of
equations specifically oriented toward understanding
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extratropical cyclones and their large-scale environ-
ment can be derived at the outset. This is the quasi-
geostrophic model. These equations represent
cyclones and some of their behavior, but they exclude,
for example, gravity waves. They include well-defined
cause-and-effect relationships. In this framework, for
example, vertical motion is the computable effect of
the interaction between the thermal and horizontal
wind fields.

It is important to realize that this model is the
common ground of both the intrinsic instability
approach and the finite-amplitude interactions
approach. With hindsight, it is easy to show that
Sutcliffe’s calculations are based on an early form of
the quasi-geostrophic filtering and so are Eady’s.
Potential vorticity inversion, as outlined by Kleinsch-
midt, is a well-posed classical Poisson problem in this
framework. The current theoretical understanding of
cyclones undoubtedly rests on the quasi-geostrophic
framework.

Recent Observational Description of Cyclones

The explosion of observations that characterized
the last quarter of the twentieth century quickly
showed that the idea of a single type of cyclone was
an idealization. Perhaps it was necessary in a period
when measurements were scarce. Although most
cyclones form and evolve in baroclinic regions
accompanying the jet stream, some do not. Even in
the baroclinic family, there is an extraordinary
diversity of shapes and histories, and therefore
perhaps of mechanisms.

At the moment, knowledge of cyclones results from
twomain sources, both combining numerous observa-
tions in all dimensions.Anumber of dedicatedprojects
such as FASTEX have been set up to concentrate
observational platforms so as to document specific
cases in a very detailed way, such as the case presented
above. Beside these cases, the work on the possible
evolution of climate has led to reassimilation of rather
long series of global data, providing homogeneous,
consistent datasets fromwhich thousands of cases can
be extracted and studied.

Types of North Atlantic Extratropical
Cyclones

Looking for a more generic description of ‘typical’
extratropical cyclones, one is led to take advantage of
the former set of fields obtained by reprocessing years
of archived data into a given version of the data
assimilation scheme. One such project is the ECMWF
Re-Analysis (ERA). It is used here to build composites
representative of hundreds of individual cases,

described entirely numerically and of known
representativeness.

DataandProcessing,DefinitionofLifeCyclePhases

The data cover the period 1979–1993 and are an
extraction of the winter season (15October–15 April)
over a domain centered over theNorth Atantic, with a
resolution of 1.51 and over 13 pressure levels.

Events of interest are defined using vorticity
rather than pressure, for reasons already given. The
trajectories of 850 hpa vorticity maxima have
been constructed using an automatic tracking
algorithm. In order to distribute events into classes,
the large state vectors that result from extracting fields
in boxes of size of about 2500 km centered on the low-
level vorticity maxima along the trajectories are
reduced by a principal component analysis. The
remaining components are distributed into classes
using ascending hierarchical classification. Paradigms
of situations conducive to cyclogenesis are then
obtained by averaging the original fields within each
class.

Study of the distributions of amplitudes, of dura-
tions, and of the various growth phases discourages
the automatic classification of full life cycles. Two
particular stages have been isolated. One is the 12 h
period centered on time 0 h of each case, extrapolating
a location for the field extraction at � 6 h: this phase is
called the initiation of a new cyclone. The other is the
24 h period preceding the time of maximum ampli-
tude: this is called the maturation phase and generally
includes the period of maximum vorticity growth
undergone by each case.

Summary of Composite Genesis Situations

The classification of initiation has 12 classes.
This classification uses nearly 6000 cases. As it is
impossible to fully account for all the classes here,
composites are gathered into ‘families’, of which there
are five. Thebest previous studies dealtwith twodozen
cases.

Themost frequent family corresponds to the genesis
of a cyclone on the northern side of the baroclinic
zone, in the cold air (28% of cases). Nearly as
frequent, there is a family that comes close to the
extensively studied frontal instability problem (24%,
Figure 8). It departs from the idealized situation onone
critical aspect: The flow is three-dimensional and the
new cyclone forms at the end of the frontal zone,
below a jet entrance.Neither of these families seems to
feature a precursor of the cyclogenesis. The next two,
on the other hand, do have such a preexisting structure
of cyclone scale: the class that corresponds to the
well-known (but clearly overestimated) development
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envisioned by Sutcliffe and Petterssen, and a new
family in which the precursor is a full-scale cyclone
that splits into the old and a new system. A single
picture summary of each family is shown in Figure 9.

Summary of Maturation Situations

The maturation phase composites show seven classes.
Figure 10 shows some of themorphological character-

Figure 9 A single-time summary of three of the other families of initiation composites. The structures are shown at the time of the first

detection of an individual vorticity maximum, that is, the appearance of a new cyclone. From left to right: a class of cold air cyclogenesis;

cyclogenesis induced by a preexisting upper-level precursor; and a class of cyclogenesis resulting from the apparent aft-splitting of an

older cyclone. The fields are displayed as in Figure 8. (Adapted from Ayrault F, Joly A (2000) Comptes-rendus de l’ Académie des

Sciences, Paris, Sciences de la Terre et des planètes 330: 173–178.)

Figure 8 One of the initiation class W composite at times (from left to right) � 6h, 0 h (first detection time of an individual vorticity

maximum) and16 h, at 300hpa (top) and at 850hpa (bottom). The fields on the top row are wind vectors (knots) coloured according to

speed so as to highlight the jet-flow structure (darkest blue above 40ms�1) and relative vorticity zr (light purple lines, contour interval

2� 10� 5 s� 1, negative contours dashed). The green-shaded background field is the 600hpa relative humidity (contour interval 10%,

white for values larger than90%,color darker for smaller values).Bottomfieldsare relativevorticity (asat the top,with darker contours)and

equivalent potential temperature ye (brick-red thin contours and shading, interval 3K, limit between blue-green shade and light orange

300K). The 850hpa wind is also shown as above, the darkest blue threshold is changed to 10ms�1. The boxed arrow is a compass

indicating the average direction of the geographical north, since the area shown is rotated. (Adapted from Ayrault F, Joly A (2000),

Comptes-rendus de l’ Académie des Sciences, Paris, Sciences de la Terre et des planètes 330: 173–178.)
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istics of Type A, the one that undergoes the largest
deepening (�25hpa /24 h) and happens in 12% of
cases: It is what some authors have termed the
meteorological ‘bomb’. Centered on the low-level
component of the system, the figure clearly depicts the
phase change between this and the upper-level
component: As there are independent studies of these
strong cases, this class validates the approach.

Class B, although not deepening, remains in warm
air and yields significant precipitations. An interesting
characteristic of this type is that it occurs in rather
strong baroclinic zones, likeClass A andwith the same
frequency. Yet it does not develop strongly (Figure 11).
The magnitude of the baroclinicity does not explain
the twodifferent behaviors, and this calls into question
explanations in terms of simple instabilities. Class B
does not have the upstream upper-level signature that
Class A shows well.

The other types correspond to cyclones deepening
between 9 and 15 hpa in 24 h. They share with Type A
the presence of a well-defined upper-level signature.
One feature that discriminates these types is the shape
of the upper-level jet and the position of the cyclone
relative to it (Figure 12). Using time filtering to
separate the lows and their environment, it is possible
to estimate the energy transfers. The preferred energy
conversions are similar for all the developing classes
and correspond to the early twentieth century idea that
cyclones develop by converting the energy contained
in horizontal gradients of temperature into wind. In
that sense, the core physical mechanism for growth is
the same for all these types.

The method employed so far yields two sets of
composites. A fundamental result comes from the
clear separation between these two sets: The subse-
quent amplification of a cyclone does not necessarily
involve the same processes as its genesis. Indeed, while

Figure 10 Example of a class of mature extratropical cyclone, the most intense one, the meteorological ‘bomb’ (Class A). The

composite structure is shown at times � 24h, �12 h, and at the time of maximum amplitude (from left to right), at 300 hpa (top) and at

850hpa (bottom). The fieldsare as inFigure8 except for thewind shownabove50 knots. (FromAyrault F, JolyA (2000),Comptes-rendus

de l’ Académie des Sciences, Paris, Sciences de la Terre et des planètes, 330: 167–172.)
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Figure 11 The mean 24 h pressure deepening Dp=24h of the

seven classes ofmaturation phases is plotted against the low-pass
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baroclinic interaction is the only significant process
leading to large amplitudes, it is the dominant
mechanism in 20% of the initiations at best.

Rapid-Development Phases in the FASTEX Sample

The very large sample studied in the previous sections
yields, themost characteristic features of extratropical
cyclones in an objective way. It is really suitable for
comparison with highly idealized models. However,
the separation into statistically independent phases
and the compositing of large numbers of cases may
smooth the structures too much and break the
continuity of life cycles. A smaller, well-documented
sample helps to put some detail back into the picture.

The analysis of the life cycles of the FASTEX
cyclones shows that the mature phase, as defined
above F the phase of maximum growth leading
vorticity to its maximum amplitude F is always the
last growth phase of the lows. However, it is not the
first one or the direct continuation of the first one. This
rapid growth phase may happen after one or even two
other growth phases followed by some decay.

The relative position of critical flow features during
this phase confirms the findings of the climatological
study and highlights the geographical dependence of
someof thematuration classes. Thus, the rapid growth
phase off the east coast of America shows the cyclone
caught between a jet exit to its south-west and a jet
entrance to its north-east. This corresponds to
maturation class C. The rapid deepeners off the
European west coast, on the other hand, cross the

baroclinic zone from itswarmside to its cold side at the
same time as they reach maturity: This is a property
of several of the climatological classes, such as A, D
and F.

These studies indicate (i) that there are distinctive
structural features between rapid deepeners or
‘bombs’ on the entrance side of a storm track and on
the exit side and (ii) that the maturation of a cy-
clone definitely involves finite-amplitude interactions
between low-level and upper-level. The basic mechan-
ism, which can be called baroclinic interaction, is
understood in broad terms (see below), butmany of its
critical properties (existence of amplitude thresholds,
critical distances, and the like) are not yet known.

Other Types of Cyclones

So far, we have discussed extratropical cyclones that
are closely associatedwith a baroclinic area or jet flow,
which provides their energy reservoir and leads to a
single broadmechanism for development, with several
variants. These are the most common ones. However,
there exist other kinds of extratropical cyclones that
depends on profoundly different mechanisms. Three
examples deserve to be mentioned.

One kind is termed polar-lows. As their name
suggest, they are cyclones that are observed at high
latitudes, in cold air. They appear to start as quite
small-scale systems (compared to the more standard
‘baroclinic’ systems) but they are able to develop very
strong low-level winds. The mechanism makes polar
lows cousins to tropical cyclones; that is, they are

Figure 12 A single-time summary of the other classes of mature stage composites. Structures are shown at the time of maximum

amplitude. From left to right: theweakwaveclass (classB); the classof cyclonematuringbetween twoupper-level jet streaks (classC); the

class of cyclones developingwhen reaching a diffluent zonewhile coming from thewarm side (classD); an example of a class of cyclones

linked to amarkedupper-level trough (classE); and themost populatedclassof nondeveloping systems (classG).Thefieldsaredisplayed

as in Figure 10. (Adapted from Ayrault F, and Joly A (2000), Comptes-rendus de l’ Académie des Sciences, Paris, Sciences de la Terre

et des planètes 330: 167–172.)
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dependent on air–sea interactions. While tropical
cyclones subsist on latent heat fluxes (or the evapora-
tion of water from the sea), polar lows depend on the
temperature difference between very cold air and a
relativelywarmsea. Somepolar lows grow in scale and
may turn into more classical weather systems inter-
acting with some upper-level flow. It must be noted
that systems of that kind, more symmetrical than
standard extratropical cyclones, sometimes with an
eye, have been observed in the Mediterranean sea,
although they cannot be termed either tropical or
polar.

Another kind, also well represented in the Medi-
terranean area, is lee cyclones. These cyclones form in
the lee of a large-scale orographic barrier, such as the
Alps. The cyclogenesis is triggeredby the interactionof
a preexisting weather feature (such as a front or a
trough) with the orography.

A final kind of low is that associated with a high-
pressure center located to its poleward side. The low
and high are coupled F they form what is called a
block. Blocks are persisting large-scale structures;
their life times are longer than those of baroclinic
cyclones and they are larger than baroclinic cyclones.
Their vertical structure is also simpler. Blocks form at
the end of storm tracks and persist by deriving their
energy from the baroclinic activity within the storm
track upstream of them. The lows that are part of a
block show bursts of activity, with transient precipi-
tating features that tend to rotate around the low
center (quite unlike the fronts of a baroclinic system,
which remain fixed relative to the center).

The Mechanism of Cyclone
Development

This section aims at providing a simple dynamical
understanding of the main mechanism behind the

development of most extratropical cyclones, called
baroclinic interaction.

Thermal Wind Balance

The various observational studies mentioned above
allow retrieval of a number of properties of extra-
tropical cyclones. Thus, on the scale of such systems,
the vertical profile of temperature barely departs from
that given by assuming that the atmosphere is in
hydrostatic equilibrium. The horizontal wind is also
quite close to the wind deduced from the distribution
of mass assuming geostrophic equilibrium. The
hydrostatic equilibrium relates the vertical distribu-
tion of mass to temperature; the geostrophic equili-
brium relates the horizontal distribution ofmass to the
wind.Combining the twomeans that a cyclone evolves
in a state that preserves some kind of equilibrium
between wind and temperature, called thermal wind
balance (Figure 13). The evolution of an atmosphere
remaining close to thermal wind balance is described
by the quasi-geostrophic system of equations. With a
proper choice of vertical coordinate z (pressure
rescaled as a height), this can be expressed as eqn [1].
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� � g

y0

qy
qy
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qu
qz

� � g

y0

qy
qx

½1�

In eqn [1], x is oriented eastward, y is oriented
northward; g=y0 is related to the scale height of the
atmosphere, Hs ¼ Ray0=g, with Ra the perfect gas
constant for air; u is the zonal wind, v is themeridional
wind; and y is the potential temperature, a tempera-
ture conserved in adiabatic displacements. The wind
and temperature fields are therefore not independent:
they can be described in terms of just one field, either
the geopotential f or the quasi-geostrophic potential
vorticity qg. The latter is conserved by geostrophic
displacements, the former is not. They are related to
one another by a Poisson-like equation (eqn [2]),

Figure 13 Schematic showing an idealized baroclinic zone, the environment within which extratropical cyclone develop. It is an area of

reinforcedbut continuoushorizontal thermalgradient in thermalwindbalancewithanupper-level jet flow. (Adapted fromMalardelS, JolyA

(2000) EAO Anasyg/Presyg. Toulouse: Météo-France.)
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where r2
qg is a scaled Laplace operator.

qg ¼ r2
qgðfÞ ½2�

The wind field, in particular, must be separated into
two components. One is a geostrophic compound (ug,
vg, 0) such that eqns [3a, b] apply.

ug ¼ � 1

f

qf
qy

½3a�

vg ¼ 1

f

qf
qx

½3b�

with also

y ¼ y0
g

qf
qz

½3c�

The other is a departure from geostrophy (uag, vag,w).
This includes in particular the vertical motion w,
which is directly responsible for the formation of
clouds and rain.

Thus, the wind is not an independent variable and,
in particular, the nongeostrophic component is a
nontrivial function of the geostrophic wind and
temperature. The physical idea is that the nongeos-
trophic component, which is zero when the thermal
wind equilibrium is strict, appears as a response to
geostrophic tendencies that, alone, would lead the
system away from equilibrium. The sense of this
response is to restore a state close to equilibrium. The
nongeostrophic motion is caused by interactions
between the geostrophic wind and the temperature
that tend to break the thermalwindbalance and is such
that its effects oppose the cause that originally led to it
(this is called negative feedback).

This can bewritten formally in terms of an equation
for the vertical motion of the form of eqn [4], where
r2

wqg is yet another scaled Laplace operator and
IðVg; yÞ describes how the geostrophic component of
the flow forces vertical motion.

r2
wqgðwÞ ¼ IðVg; yÞ ½4�

The latter term is nonzero whenever the geostrophic
wind tends to displace isotherms horizontally, orwhen
isolines of the geostrophic streamfunction (close to f)
cross isotherms. Assuming zero vertical motion at the
surface and the tropopause yields eqn [5], which
provides a broad idea of the sense of the vertical
motion, negatively correlated with the forcing I
within an arbitrary volume.
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V
wI dVo0 ½5�

Baroclinic Interaction

The vertical motion w is not only important because
it is the direct cause of the formationof clouds in ascent
zones. It is a key dynamical parameter. In particular,
it controls the evolution of vorticity. Equation [6]
is the simplest form of the quasi-geostrophic equa-
tion of evolution of geostrophic relative vorticity,
zg ¼qvg=qx� qug=qy, where Dg ¼ q=qt þ ugq=qxþ
vgq=qy is the geostrophic material derivative or the
change of zg following the geostrophic motion. This
equation shows that the only remaining source of
vorticity changes is the term called stretching. When
the vertical velocity w increases with height, vortex
tubes are stretched and this increases their vorticity.

Dgzg ¼ f
qw
qz

½6�

At any given time, the extratropical troposphere
shows a planetary-scale wavy pattern with a broad
area of increased meridional gradients (the main
baroclinic zone), together with a number of vortex-
like features of various scales. Some of these vortex
structures are like filaments coming out of the
planetary polar vortex, others are cut off from this
and look like isolated or sometimes coupled maxima
or minima drifting in the vorticity field.

Consider the following idealized situation: a single
vorticity maxima (say) trapped near the tropopause
close to an homogeneous baroclinic zone (Figure 14).
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Figure14 Vertical cross-section in the same frameworkas inFigure13 showingsomeaspectsof anupper-level vorticity anomaly in the

jet flow. Such a structure propagates but does not develop or, at least, not rapidly. However, it is a simple model of upper-level precursor.

(Adapted from Malardel S, Joly A (2000) EAO Anasyg/Presyg. Toulouse: Météo-France.)
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Because of thermalwindbalance, the latter can be seen
either as a deep area of reinforced meridional
temperature contrast or as where the upper-level jet
stream is. The vorticity maximum and the baroclinic
zone interact with each other in the sense that the
streamfunction signature of the vorticity maximum
crosses the isotherms of the baroclinic zone (and vice
versa). This interaction leads to some response in the
nongeostrophic wind field; in particular, it causes
verticalmotion.The verticalmotion is strongestwhere
the geostrophic cross-isotherm flow is the strongest
(to first order), namely, in two locations: just down-
stream (eastward) and just upstream (westward) of the
vorticity maximum in the flow oriented by the jet
stream. The rule of thumb is that the vertical motion
opposes the effects of the geostrophic wind on the
isotherms. On the downstream side of the vorticity
maximum in the troposphere, the cyclonic flow leads
to warming and leads to cooling on the upstream side.
This is opposed by tropospheric ascent downstream
and descent upstream.

Consider now the effect of this vertical velocity field
on the vorticity maximum. There is stretching on the
westward side, nothing at the level of the maximum,
and squeezing on the eastward side. This means that
the vorticity maximum will propagate upstream
(toward the west); in other words, it will move more
slowly than the wind in the jet but will not amplify
since no vorticity is created at its core. Here, we have a
simple model of a structure that can persist for some
time and move relative to main flow but that will
remain barely visible in terms of ‘weather’. This is one
simple example of a precursor structure. Away from
the surface, as assumed here, it is little affected by
friction. However, this kind of vorticity monopole is
generally dispersive, which sets a limit to its ‘useful’
lifetime.

Consider now the effect of that vertical velocity
field on the other boundary, in this case near
the surface. The ascent is a source of stretching for
surface-based vortex tubes. Thus near-surface vorti-
city is generated below the ascent, slightly down-
stream of the upper-level precursor. This is the source

of cyclone development contemplated by Sutcliffe and
Petterssen.

Similarly, an isolated surface-based vortex is
accompanied by the same kind of vertical velocity
field as an upper-level vortex when interacting with a
baroclinic zone (Figure 15). This vortexwill propagate
downstream (toward the east) but, similarly, it will not
develop. Not only are these low-level precursors
dispersive but they are also affected by friction.
Nonetheless, they may exist for short periods. They
also have an effect on the vorticity dynamics at the
other boundary, the tropopause.

Rapid mutual development of such vorticies in a
baroclinic zone occurs when they are located relative
to one another in such a way that their associated
vertical velocity zones stretch the vorticity maximum
at the other boundary. In this case, each vortex
amplifies the other: this is the essence of baroclinic
interaction. This happens as long as the low-level
vortex is located downstreamof the upper-level vortex
(Figure 16). If the low-level vortex is found upstream
of the upper-level vortex, then the interaction is
destructive and the composite system collapses rather
than amplifies.

This shows how the ideas of balance leads to a
characteristic constraint on the vertical structure of a
developing cyclone. The baroclinic zone provides the
thermal energy available for conversion into cyclone
wind. The low-level vorticity signature of the cyclone
must be located downstreamof the upper-level part, as
shown in the climatological composites, in order for a
balanced circulation to amplify as this energy is
converted.

From this elementary description of the mechanism
of baroclinic interaction, one can spot a number of
critical parameters. The process depends on the
influence of a vorticity structure on the other
horizontal boundary: The stronger this influence, the
more efficient the process. This is clearly related to the
vertical scaleHz of the initial structures and to theway
the medium (the baroclinic zone) opposes or aids this
influence. Concerning the first point, taking into
account the fact that potential vorticity is quasi-
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Figure15 SameasFigure14, but for a low-level vorticity anomaly. Its behavior is the sameas that of theupper-level anomaly. (Adapted

from Malardel S, Joly A (2000) EAO Anasyg/Presyg. Toulouse: Météo-France.)
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uniform in the troposphere makes the vertical scale
a simple function of the horizontal scale Lz with
Hz � Lz�f=N. This vertical scale must be of the same
order as the depth of the troposphereH. In short, only
anomalies with a horizontal scale larger than some
threshold may amplify efficiently through baroclinic
interaction. This threshold is of the order of theRossby
radius of deformation LR ¼ HN=f . Below this scale,
they can only propagate (or disperse). The critical
property of the medium is its potential vorticity,
which, at the level of quasi-geostrophic theory, is
mostly related to the static stability. The smaller
potential vorticity (or static stability) is, the easier the
interaction is. This is included in the definition of the
Rossby radius.

The other parameters include the vertical phase
between the vorticity component. For systems that are
locked in phase, there is an optimum phase tilt that
allows for the fastest sustained growth over a long
time. However, the composites do not show vertical
phase locking and the problem must be seen differ-
ently. The climatological study reveals that the
observed time scale of development is about 24 h: it
can then be shown that systems that are not phase
locked (with a tilt that changes with time) amplify
significantly more rapidly over a wider range of scales
over this time scale. A further parameter is the initial
distance between the structures, when two potential
precursors exist at both boundaries. Below some
value, a single powerful cyclone will result from the
interaction. Above some value, each precursor will
tend to generate its cyclone but, as this process is
building up slowly, one will see two small-amplitude
systems. The duration of the interactions is another
parameter. Finally, the nature of the underlying surface
is also important in determining when an amplifying
interaction may start: It has to create more kinetic
energy than is dissipated by friction. Although
the finite-amplitude maturation of an extratropical
cyclone may take place over land (unlike a tropical
cyclone), its early growth is easier over sea because of
the reduced friction.

Brief Review of Linear Stability Problems Relating
to Cyclogenesis

Originally, the basic mechanism was called baroclinic
instability. It was first derived by solving the linear
stability problem that results from linearizing
balanced equations with respect to a simple baroclinic
flow. One solution is emphasized and is somehow
associated with a developing cyclone, the most
unstable normal mode. The necessary vertical tilt is
nicely predicted by this approach. However, the time
scale is not properly handled. Introducing such
unstable solutions into nonlinear models, while it
allows the description of some of the structure
changes, rather emphasize this time scale problem.
However, it is sufficient to look for more general
solutions to obtain considerably larger amplification
rates together with rapidly changing structures in the
linear framework. In that sense, the view still persists
that cyclones result from amplifying a barely measur-
able initial perturbation in a smooth large-scale
baroclinic flow.

Other aspects that have been analyzed in terms of
linear instabilities, either standard or generalized, are
slightly more complex basic flows such as two-
dimensional fronts, characterized by a large low-level
relative vorticitymaximum. Strong normal modes can
be found when the vorticity maximum corresponds to
a large-amplitude, narrow potential vorticity anom-
aly, such as can be generated by latent-heat release in a
real frontogenetic process. More recently, the possibi-
lity of instabilities in time-dependent flows has been
examined. The aim is to determine in particular the
role of the background deformation field that may act
on the basic flow, making a front stronger or creating
areas of diffluence or confluence in a jet flow. The
influence of the horizontal shear on the stability
properties of a jet flow has also been examined in
this way: a large horizontal shear makes the flow less
unstable.

The verification of the theory of baroclinic instabil-
ity has always been performed with poor standards

z

x

U

�

�

Figure 16 Constructive baroclinic interaction takes place when two structures like those shown in Figures 14 and 15 influence each

other as shown in this cross-section, amplifying each other. (Adapted from Malardel S, Joly A (2000) EAO Anasyg/Presyg. Toulouse:

Météo-France.)
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comparedwith, for example, the quantitative verifica-
tionofmodels of the boundary layer fluxes andprofiles
and some other processes. It is successful only in
very broad terms. Linear results may not be readily
associated with real cyclones. However, they are a
useful model for describing how forecast errors
amplify over the short term (the first day or so) in a
numerical representation of the atmosphere.

Conditions Favoring Cyclone Development

Various aspects have been studied, either using linear
models or by performing sensitivity experiments in
nonlinear runs. A first kind of experiment is to change
the physics of the model, such as by removing cloud
processes. More recently, the initial conditions have
also been used to test ideas. The latter approach,
combined with potential vorticity inversion, enables a
direct check of the role of preexisting flow structures in
the existence of a cyclone.

To summarize, it is found that low static stability,
weak environment deformation, small horizontal
shear in the jet stream, and latent heat release
contribute to accelerating and strengthening the
development of extratropical cyclones. The role of
turbulent fluxes is more complex. The importance of
low friction at the beginning of life cycles has already
been stressed. Heat fluxes have contradictory effects
within a growing cyclone. However, large heat fluxes
ahead of or prior to the coming of a cyclone
may reduce static stability by mixing and create a
medium that will favor rapid growth; in other words,
they reduce the Rossby radius LR. This is called
preconditioning.

Upstream–Downstream Influence of the Flow on
Cyclone Development

So far, the quasi-local influences of coherent anomalies
in baroclinic flows have been stressed. However, most
of the structures considered are dispersive. This means
that the energy converted when a baroclinic interac-
tion takes placemay propagate at a group velocity that
is different from the average phase speed of the
structures involved. This is called the upstream–
downstream influence on cyclone development.

For an idealized situationF a purely zonal flow, for
example F consider an amplifying isolated cyclone.
Upstream and dowstreamdevelopment takes the form
of a train of anticyclones and cyclones that begin to
form and develop both downstream and upstream of
the original system.

In the real atmosphere, this means that the growth
of a cyclone may not only be controlled by its local
conditions; the presence of another system may be
important as well. The easiest mechanism to diagnose

is the downstream influence of a rapidly growing
cyclone near the east coast of America (say) on a
cyclone close to Europe. Examples of upstream
influence are still to be found.

Frontogenesis

One feature that observations have been confirming
on a fairly regular basis, radar observation in
particular, is the existence of fronts. Fronts are a
highly visible and easily measurable phenomenon.
This is why it played a central role in the polar-front
model. However, it somewhat disappeared from the
scene with the advent of the quasi-geostrophic model.
This has been a major flaw in the theoretical construct
available in the early seventies. It has been solved by
revising the quasi-geostrophic filtering andbybuilding
another filtered model that remained valid on a larger
set of scales, providing access to a part of the
mesoscale. Fronts are a consequence of the develop-
ment of cyclones rather than a cause of their
formation. They are transient features, either building
up or weakening, but only exceptionally steady. In
terms of weather, fronts are important, but not so in
terms of dynamics.

Cyclone-Relative Air Streams

So far, the description of extra-tropical cyclones and of
their growth mechanism has been given in terms of
coherent flow organizations such as vorticity extrema,
wind field and the likes. These structures can be
represented mathematically by waves or, rather, by
wave packets. They can be tracked, their interactions
can be evaluated. They can even be split in a semi-
objective way into a number of elementary potential
vorticity ‘pieces’ to which many features of the flow at
a given time can be selectively attributed. This is a
useful framework for understanding the basic adia-
batic dynamics operating in cyclones.

However, some aspects of the description of the
associated weather, namely the cloud and precipita-
tion patterns, the origin of the air involved in a cyclone
circulation does not fit well into this framework. They
seem to come last in a long chain of dynamical causes
and effects, while these properties come first in terms
of noticing the weather.

In other words, most of this article describes
cyclones in terms of Eulerian-based fields. However,
the associated motion displaces air parcels that carry
with them a number of properties such as their water
content, initial temperature and location. The fact is
themotionof theEulerian coherent structures in fields,
that canbe described bydispersion equations, has little
or nothing to do with the actual motion of air parcels
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relative to the system. Yet, this is of interest to
complete the picture.

The Large-Scale View: The Two Basic Streams

Taking the large-scale view, it has long been thought
that a cyclone involved two basic air streams relative
to its overall structure (Figure 17). One involves the
warm air, which comes from low latitudes and low
levels, ascends while going through the cyclone core,
and escapes the cyclone either westward (moving
more slowly than the cyclone) or eastward (when
moving more rapidly than the cyclone). The other air
stream has a poleward, stratospheric origin and
descends toward the wesward side of the cyclone,
where it splits into two branches, one reaching for low
latitudes and low levels, the other moving toward the
cyclone core, possibly reascending. Because of its
origin, this air is very dry. The splitting pattern can be
seen on satellite images in the form of a dry hammer-
shaped feature. The scale of these streams is of the
order of LR.

Actual Air Streams Objectively Defined

Recently, amore general approach has been developed
to explore the existence of actual coherent air streams
relative to real cyclones. A series of Eulerian analyses
are used to compute a large number of air parcel
trajectories, emanating from almost everywhere, over
the lifetime of a given cyclone of interest. A number of
properties are then interpolated to these individual
trajectories: their location in four-dimensional space,
of course, but also their potential temperature, water
vapor content, potential vorticity, etc. Then, a given
objective criterion is selected, such as ‘trajectories that
ascended the most’ during the selected period, or

‘trajectories with parcels that lost the most water
vapor’ or those that ‘underwent the largest descent’.

The extraordinary thing is that, when trajectories
are selected in this way, they appear not to be
randomly distributed but to be concentrated into
coherent ensembles of trajectories for a lapse of time of
the same order as the time of cyclone development.
This strongly supports the idea of the existence of
coherent air streams relative to cyclones. Some actual
examples are shown in Figure 18.

Consider thewarmair streamof the broad view.The
‘coherent ensemble of trajectory’ view reveals a very
large relative change of location between the stream
and the developing cyclone. The warm air stream that
reaches the core of the cyclone at the mature stage is
made of air that comes from low latitudes and low
levels far away to the east of the incipient cyclonewhen
it starts to form.

The broad picture, however, is confirmed. Themain
idea to keep is that, while the shape of a cyclone is
made up from coherent structures of the flow that
propagate in a roughly zonal direction, the air that is
mixed within its core is brought by parcels that move
mostlymeridionally,which is not completely intuitive.
The stronger the cyclone, themore directlymeridional
air parcels converge toward its core at the mature
stage.

Cyclones and General Circulation

This final section addresses questions such as why the
weather takes the form of cyclones at middle and high
latitudes and shows more precisely where they are
distributed. A key concept is introduced: storm tracks.
This is useful in attempting to understand the
evolution of weather on the slightly longer time scale
of the order of a week to a month.

Why Extratropical Cyclones?

Atmospheric motions result from and redistribute
the inhomogeneous input of energy from the
Sun, which is in excess at low latitudes and in deficit
at high latitudes. A planetary-scale, purely meridional
overturning of air, with ascent about the Equator
and descent near both poles could both perform the
desired redistribution and be energetically self-
consistent. However, the spinning of the Earth
precludes such a simple meteorology and introduces
strong mechanical constraints. These can be under-
stood in terms of angular momentum of air parcels
about the axis of rotation of the Earth. To first order,
neglecting friction, the only source of absolute motion
is the pressure difference between two regions. In
the simple overturning model, assuming zonal

Figure 17 Overview of the main air streams that can be

observed within a baroclinic wave, relative to the system (large

arrows). The sloping surface that supports them is a surface of

constant potential temperature y, or rather of constant moist

potential temperature yw0 . (From Thorncroft CD, Hoskins BJ,

McIntyre ME (1993)Quarterly Journal of the Royal Meteorological

Society 119: 17–55.)
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homogeneity, the pressure force is directed toward or
away from the axis of rotation; its moment is zero and
therefore air parcels moving toward or away from the
axis conserve their angular momentum. The angular
momentum has two components: One relates to the
local value of the planetary rotation and the other to
the angular momentum of the motion of the parcel
relative to the planet normal to the axis (zonal, that is).
Thus, the conservation of angular momentum implies
a characteristic zonalwind distribution. This turns out
to be completely unrealistic with unobserved values at
latitudes higher than about 251. In other words,
angular momentum cannot be conserved and atmo-
spheric motions redistribute both energy and angular
momentum.

Angular momentum exchanges between air
parcels moving away from and toward the axis of
rotation require a component of a body force,
the pressure force, that is not directed toward the
axis F in other words, that has a zonal component.
The pressure and other related fields must have
zonal variations. Together with the meridional dis-
tribution, this leads to alternate cells of high and low
pressure atmid-latitudes and high latitudes.Hence the
vortex-like overall shape of the structures where

these exchanges of heat and angular momentum take
place.

As has been discussed above, the scale of extra-
tropical cyclones and anticyclones implies that they
evolve close to some balanced state of the atmosphere.
Among other consequences, low-pressure zones turn
out to be somewhat associatedwith ascendingmotion,
and therefore clouds and rain. This makes them more
‘weatherly’ than anticyclones.

The Location of Cyclones: Storm Tracks

Where are extratropical cyclones to be seen? Their
distribution is far from homogeneous. The first
approach is to track them in more or less long series
of data. This can be done manually or automatically.
An example is shown for the broad North Atlantic
area and for February 1997 (Figure 19). The map of
automatically derived track density reveals that
extratropical cyclones are primarily a marine phe-
nomnon. It also shows the existence of a preferred
‘axis’ of maximum density rather than an even
distribution spread over the whole ocean.

Another feature that is worth verifying is the close
relationship between cyclone tracks and the upper-
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Figure 18 Objectively computed coherent ensembles of trajectories between 22 November 0000 UTC and 24 November 1992 0000

UTC. At the final time, there is a cyclone south of Iceland; the trajectory of the minimum pressure during the same 48h is shown by the

linked circles. The air trajectories are absolute, not relative to the system. They are derived from a series of three-dimensional analyzed

fields. (A) Trajectories undergoing an ascent larger than 620hpa. (B): trajectories descending more than 380hpa (southernmost ones in

brown) and descent larger than 350hpa with initial potential vorticity larger than 2 pvu together with a third ensemble of descending

trajectories keeping a large potential vorticity (northern ensembles in orange). (Adapted from Wernli H (1997) Quarterly Journal of the

Royal Meteorological Society 123: 1677–1706.)

CYCLONES, EXTRA TROPICAL 611



level jet stream. This is shown again for the Atlantic
area and February 1997. Both features are roughly
similarly located. However, the cyclone tracks are
more clearly oriented toward the north-east and reveal
a tendency for the cyclones to cross the jet stream from
the warm to the cold side. The behavior of this
population of cyclones confirms the results of previous
sections on cases and mechanisms.

The actual tracks of cyclones can now be computed
but, historically, this characteristic organization with
a concentrated, preferred area has been revealed less
directly. Tracking a coherent structure is quite an
involved algorithmic challenge and has been solved
only recently. It is much easier to compute various
properties of series of maps of analyzed fields derived
from objective analyses such as those used to build the
composites. Consider, for example, the variance of the
geopotential for the same area and period in Figure 20.
There is an obvious similarity between the two maps,
the sophisticated track density and the simple dis-
tribution of variability. The similarity can be improved
by filtering the variability into several classes of
characteristic time scales: the 0.5–5-day variability
fits the tracks best. These preferred areas are called
‘storm tracks’. This shows that extratropical cyclones
are the location of heat and angular momentum
exchanges as well as the major source of variability. It
also shows that these exchanges are concentrated in
specific areas.

The automatic tracking of cyclones has been
performed globally on six years’ of ECMWF analyses
(Figure 21). The Northern Hemisphere winter map
shows two main storm tracks, one over the Atlantic

and another one, much larger but not much more
populated, over the Pacific ocean. This confirms the
primary marine nature of cyclogenesis, although a
significant number of events happen over continents
such as North America. The Southern Hemisphere
winter map also reveals a well-defined storm track in
the mid-latitude Indian Ocean. The distribution is not
as homogeneous as the geography would suggest. The
NorthernHemisphere map surely implies that friction
plays a role in the dynamics of extratropical cyclones,
but this becomes less obvious when looking at the
Southern Hemisphere map.

Feedback of Cyclones on the Large-Scale Flow

All the developing types of cyclones are accompanied,
in their most active phase, by large poleward and
upward heat fluxes. This, basically, is only repeating
that cyclones are the form taken by the global heat
exchange at mid-latitudes. An example of quantifica-
tion of these fluxes in a real situation that is typical
enough to support comparison with idealized life
cycles is shown in Figure 22.

This figure further shows that cyclones also lead to
large poleward fluxes of zonal momentum. In other
words, the jet stream that the meridional circulation
builds at subtropical latitudes appears to be shifted
poleward, and this is due mostly to the cyclones.
Furthermore, as has already been mentioned, the
distribution of cyclones is not homogeneous, even in
the Southern Hemisphere. This poleward displace-
ment of the jet is, therefore, taking place in storm
tracks. The zonal symmetry of the jet stream is broken
and several branches emanate from the various storm
tracks. Some average meridional cross-sections dis-
play two westerly jet streams systems: one at high
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Figure 19 Map showing the density of extratropical cyclones

trajectories derived from automatic tracking in the February 1997

6-hourly analyses (thin contours and shading, contour interval: two

tracks per grid point). The field overlaid is the monthly mean

300hpa wind velocity (heavy contours, interval 5ms�1 from

40ms�1). (Adapted from Baehr Ch, Pouponneau B, Ayrault F,

JolyA (1999)Quarterly Journal of theRoyalMeteorological Society

125: 3469–3494.)
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Figure 20 Same as Figure 19, except that the field overlaid on

the density of trajectories is the raw 700hpa geopotential standard

deviation (heavy contours, interval 100mgp), a simple measure of

the variability.
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latitudes, sometimes called the polar jet, and another
at lower latitudes, the subtropical jet. The polar jet is,
actually, the result of the breaking and poleward
displacement of the subtropical jet, the lowest and
highest latitudes reached being quite stable. In
between, the variability is very large and therefore
does not show up on the mean.

Amore subtle effect of the populations of cyclones is
that the various fluxes they generate (both of heat and
of momentum) contribute to the maintenance of
slowly evolving or even steady very large-scale
patterns called weather regimes. The North Atlantic
storm track is known to be associated with four
stationary regimes, such as the zonal regime (the jet
crosses the whole ocean) or the blocking regime (the
storm-track splits at mid-ocean, a block seats over the
eastern basin). The pacific storm track also has
regimes, but its size is such that they propagate as
Rossby waves. While cyclones collectively contribute
to themaintenanceof regimes, it is thought that regime
transition,which is rapid, is based on single events that
strongly influence their larger-scale environment.

The latter point may be understood by coming back
to a single cyclone point of view and to studies of their
long-term evolution. It is useful to consider that the
early stages of a life cycle are dominated by the one-
way influence of the baroclinic zone on the cyclone. In
the late stages of the life cycle, however, when the
cyclone is in a highly nonlinear phase, it may strongly
modify its environment.

Figure 21 Density of extratropical cyclone trajectories in the whole Northern Hemisphere in winter (October–March, left) and the

Southern Hemisphere in winter (April–September, right) derived from the period 1980–1986 of ECMWF operational analyses. Contours

are labeledas trackspermonth,with a resolutionof 51. Thearrowsare theaveragephasespeedof the lows; the referencearrowon the left

represents 10ms�1 (From Sinclair M (1997)Weather and Forecasting 12: 595–612.)
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Figure 22 Latitude-time sections of the zonally averaged north-

ward heat flux at 700hpa in Kms�1 (A) and northwardmomentum

flux at 300 hpa in m2 s� 2 (B) for zonal wavenumbers 5 to 7.

Negative fluxes are directed poleward, as indicated by the large

arrow, since this is a Southern Hemisphere case study. The day of

maximum activity, day 9 on the panels, is 13 December 1979.

(Adapted from Randel WJ, Stanford JL (1985) Journal of the

Atmospheric Sciences 42: 1364–1373.)
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Looking at a number of idealized primitive equation
simulations of cyclone life cycles and a number of
real cases, the modification of the large-scale flow
by individual cyclones seems to take two paradigmatic
forms. These are called life cycle type 1 (LC1) and
life cycle type 2 (LC2) (Figure 23). The LC1 life
cycle is characterized by the upper-level component
of the cyclone taking the shape of an increasingly
meridionally elongated trough that eventually cuts
off from the polar vortex. The detailed example
presented early in this article obviously belongs
to this category (Figures 1 and 6). The cut-off
or even the tip of the trough may generate a further,
smaller scale cyclone in the lee of the original one.
Life cycles of this kind contribute to the maintenance
of blocks if one is present at the end of the storm
track.

The LC2 life cycle, on the other hand, corresponds
to an upscale growth of the whole cyclone, with
its upper-level component building into a large pool
of high potential vorticity, cold air westward of
the cyclone. This pool may cut off from the polar
vortex during the very late stages, but this is not
systematic.

Glossary

Baroclinic interaction This expression is introduced
in this article in order to name the main physical
mechanism that explains the development of

extratropical cyclones. It is useful to distinguish
the actual mechanism that couples finite-amplitude
vorticies within a baroclinic zone from baro-
clinic instability, which applies to the spontaneous
growth of small perturbations within such a
zone.

Initiation of a cyclone The expression cyclogenesis is
becoming ambiguous, since it does not necessarily
apply to the birth of a new cyclone but is also
employed for its growth and amplification. This is
acceptable in the perspective of very basic life cycles
based on continuous growth under the same
physical conditions. The climatological reality is
somewhat different and calls for a more precise
vocabulary. This article refers to the initiation phase
of a cyclone life cycle as the first detection of an
individual vorticity maximum, that is the initial
formation of a new cyclone.

Maturation phase in a cyclone life cycle This
article refers to maturation as the 24 h period
preceding the maximum amplitude reached by
vorticity at the core of a cyclone in the course of
its life cycle.

Weather regime This expression is employed in this
article in the sense of a quasi-stationary large-scale
flowpattern, ‘large-scale’meaning on the scale of an
oceanic basin such as the North Atlantic or North
Pacific.

Units In general, SI units are used for contour
intervals in particular for vorticity (s�1). The
following exceptions can be found:
Potential vorticity A convenient nonconventional
unit is employed, the pvu (potential vorticity unit).
1 pvu 5 10� 6 K m2 kg�1 s�1.
Wind speed In addition to the SI unit (m s�1), the
practical unit knot (kt) is also employed. 1 kt
5 1852 m/3600 s.
Geopotential The SI unit for geopotential f is J
kg� 1. However, maps of geopotential are rescaled
to the so-called dynamic height f=g, where g is a
constant conventional value of the acceleration of
gravity internationally agreed upon by the World
Meteorological Organization (g5 9.80665 m s�2).
The unit of dynamic height employed is denoted
mgp for meter geopotential: other symbols may be
used.

See also

Baroclinic Instability. Cyclogenesis. Dynamic
Meteorology: Balanced Flows; Overview; Potential
Vorticity; Waves. Frontogenesis. Fronts. Jet Streaks.
Quasi-geostrophic Theory. Radiosondes. Rossby
Waves. Synoptic Meteorology: Forecasting. Tropo-
pause. Vorticity. Wave Mean-Flow Interaction.

Figure23 Asingle-contour summaryof thepreferred longer time

evolutions of idealized extratropical cyclones. The contour line is

from a conserved upper-level field, either potential vorticity or

potential temperature, on a material surface such as a surface of

constant value of the alternate field. The dashed line suggests the

relative location of the upper-level jet. Top: LC1-type life cycle.

Bottom: LC2-type life cycle. (Adapted fromThorncroft CD,Hoskins

BJ, McIntyre ME (1993) Quarterly Journal of the Royal Meteo-

rological Society 119: 17–55.)
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Introduction

One frequently needs to analyze atmospheric obser-
vations or model outputs that are time-varying fields
of data at many points in space. Typically, one desires
to isolate a few important and physically interpretable
modes of variability in the data. Until the 1960s, this
was usually done subjectively, by constructing an
index (such as the Southern Oscillation Index of sea-
level pressure difference between Tahiti and Darwin)
that appears to correlate strongly with the variability
in one or more data fields (sea-level pressure, sea
surface temperature, winds, precipitation) at many
locations. Regressing this index onto the data
or binning the data corresponding to different ranges
of the index yields composite spatial patterns of
variability.

To avoid the trial and error of concocting such
indices, it has become common to use techniques that
directly find dominantmodes of variability in the data.
This article describes some popular techniques for
doing this.

We first discuss principal component analysis (PCA)
and some variants. PCA seeks spatial patterns that
explain themaximal variance in a single data field.We
then examine popularmethods for isolating important
spatial patterns of coupled variability between several
data fields. Such methods include maximum covari-
ance analysis or MCA (also widely called singular
value decomposition or SVD – we prefer the name
MCA, suggested by von Storch and Zwiers in 1999,
since SVD is the name of a fundamental matrix
decomposition whose applications are far broader

than this specific technique of spatial data analysis);
canonical correlation analysis (CCA); redundancy
analysis; and variations. We discuss space–time data
fitting with a linear autoregressive model, called
principal oscillation pattern (POP) analysis. All of
the above methods are thoroughly discussed and
referenced by von Storch and Zwiers (see Further
Reading). Lastly, we briefly mention some nonlinear
techniques for space–time analysis.

Principal Component Analysis

PCAwas pioneered in the social/biological sciences by
Hoteling and Pearson in the 1930s, and first applied to
atmospheric data by Lorenz in 1956. Consider a
multivariate data set yiðtnÞ consisting of several
samples (indexed by n) of a set of variables (indexed
by i). In a biological science application, the vari-
ables might be the sizes of different body parts
(forearm length, waistline, height, foot size, etc.),
sampled across many people. In an atmospheric con-
text, the variables might be annually-averaged sea-level
pressure anomaly yiðtnÞ at I observing stations
i ¼ 1; . . . ; I, sampled for N ¼ 50 years tn,
n ¼ 1; . . . ; N. PCA seeks a single linear combination
of the variables that explains themaximal fractionof the
overall sample variance.

Mathematical Derivation

This can be phrased as the following mathematical
optimization problem. Let yðtnÞ be the vector of
observations at time tn. Any linear combination of
these observations can be written aðtnÞ ¼ u . yðtnÞ,
where u is a vector of station weights ui. It suffices to
take u to be a vector of unit norm. Then aðtnÞ is the
projection of the data onto the direction u, and a2ðtÞ is
the explained variance (eqn [1]).

a2ðtÞ ¼ uTyyTu ¼ uTCyyu ½1�
Here, an overbar represents an average over the N
sampling times, and the (i; j)th element of the matrix
Cyy is the covariance of yi with yj. In this language,
PCA seeks a u that maximizes eqn [1] subject to
uj j ¼ 1.
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Since Cyy is a symmetric positive definite matrix,
standard linear algebra tells us that the desired u ¼ e1,
the eigenvector of Cyy corresponding to its largest
eigenvalue l1. If the other eigenvalues are ordered
from largest to smallest, the kth eigenvector is the
direction that explains the maximal variance in the
data and is orthogonal to all previous eigenvectors.
This eigenvector is called the kth empirical orthogonal
function (EOF) of y and the corresponding time series
akðtÞ of the projection of the data onto this EOF is
called thekth principal component (PC).Thedata field
can be exactly rewritten in ‘canonical form’ in terms of
its EOFs and PCs (eqn [2]).

yðtnÞ ¼
XI
k¼1

akðtnÞek ½2�

Furthermore, the akðtnÞ are temporally uncorrelated,
so the total variance in y summed over all spatial
locations is just the sum of the eigenvalues lk, and the
fraction of the variance explained by the kth PC/EOF
pair is given by eqn [3].

fk ¼
lkPI
l¼1 ll

½3�

Owing to these orthogonality properties, the EOFs can
be interpreted as spatial patterns of variability as well
as just weight functions. In particular, if yiðtÞ is
regressed on the kth PC, the regression slope is just
eik, the ith element of the kth EOF. Thus l1=2k ek can be
interpreted as the characteristic change of yðtÞ corre-
sponding to a one standard deviation (l1=2k ) change in
the kth PC.

Practical Interpretation of PCA

In practice, only a few leading EOFs explain most of
the variance of the field. Since most atmospheric fields
have long-range spatial correlations, these EOFs
typically correspond to patterns of broad spatial scale,
and are relatively robust even when the number of
samples is low or the data are noisy. Thus, the leading
PCs are often useful index time-series for compositing
with respect to the leading modes of variability of a
given field. Often, 1–5 PCs explain as much as 90% of
the overall variance in the field, and these PC/EOF pairs
form an efficient low-dimensional description of the
entire field. In this case, projection onto these PCs is a
useful space/time filter before other statistical methods
such as canonical correlation analysis are employed.

If the variability of the field is dominated by
propagating disturbances (e.g., mid-latitude sea-level
pressure variations on synoptic time scales), the
corresponding eigenvalues come in a nearly equal
pair corresponding to two phases of the disturbances
that are in quadrature.

Because higher EOFs are forced to be orthogonal to
their predecessors, theymaynot be amenable to simple
physical interpretation. Furthermore, since the covar-
iance matrix was estimated on the basis of a finite
number of physical realizations, its EOFs may contain
sampling biases. This problembecomesmore acute for
higher-index EOFs, and can also mix EOFs with
closely spaced eigenvalues. North’s criterion states
that if the covariancematrix is constructed on the basis
of N independent samples, its eigenvalues have sam-
pling uncertainties dlk � 2lk=N, and if the spacing
between successive eigenvalues is comparable to or
less than this sampling uncertainty, their EOFs will be
heavily contaminated by sampling uncertainty. An-
other simple check on the robustness of the PCA is to
divide the data set into randomly chosen halves, then
examine the similarity of the EOFs given by the two
halves.

Rotated PCA

The spatial patterns produced by PCA can sometimes
be difficult to interpret. For instance, two ocean basins
might have characteristic patterns of sea surface
temperature anomalies that explain a lot of the
intrabasin variability, but the variability in the two
basinsmight only beweakly coupled. Tomaximize the
leading mode variance and maintain an orthogonal
second mode, PCA would yield a leading mode in
which the spatial patterns in the two basins are in-
phase and a second mode of slightly smaller explained
variance in which they are out of phase. This might
direct attention to the weak coupling between the
basins rather than the much more robust intrabasin
variability.

Rotated PCA (in statistical parlance, a type of factor
analysis) can be used to obtain localized modes that
might have a simpler physical interpretation. It con-
sists of choosing a set of spatial weights or directions
that optimize some measure of localization. The data
are typically filtered onto the leading EOFs before this
procedure is carried out. Varimax rotation, which is
most commonly used, maximizes a function of the
weights that tends to force them to be closer to either
zero or one than regular PCA. This favors modes that
are weighted mainly to a few spatial points, inhibiting
mode mixing of the kind discussed above. However,
the modes are no longer temporally uncorrelated
(hence they do not form a partitioning of the variance)
andmay not be spatially orthogonal for some rotation
strategies. Furthermore, the leading mode will not
explain so much of the variance as with regular PCA,
and many spatial patterns do not have the localized
character that rotated PCA selects for, so this method
should be applied thoughtfully.
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PCA for Propagating Disturbances

Several methods for extending PCA to better analyze
spatially propagating disturbances have been pro-
posed.One such technique is complexPCA (CPCA), in
which a discreteHilbert transform in time is applied to
the field of data. A new field is created whose real and
imaginary parts are the original field and its Hilbert
transform. A PCA of the (now complex) covariance
matrix of this field yields complex eigenvectors whose
real and imaginary parts give the characteristic spatial
patterns in both phases of the wave.

Singular Spectral Analysis (SSA)

Many modes of spatial variability have characteristic
time evolutions, for instance, the life cycle of a
baroclinic cycle. Singular spectral analysis is a method
popular in some circles for characterizing the domi-
nant patterns of space–time variability, and has been
used as an alternative to power spectral analysis.
Conventional PCA is based on the matrix of simulta-
neous (unlagged) covariances. SSA is based on PCA of
an extended covariance matrix that also includes
lagged covariances with a sequence of time lags. The
EOFs are parsed into characteristic spatial patterns
evolving through the sequence of lag times.

Methods for Isolating Patterns of
Coupled Variability

Two linear methods, MCA and CCA, are widely used
for isolating patterns of coupled variability in two
fields. A third method, called ‘redundancy analysis’
(RA) by von Storch and Zwiers, is also useful for
predicting the time–space structure of one field based
on observations of another, correlated field.

Mathematically, these methods can be phrased as
follows. We call the two fields the ‘left’ field yiðtnÞ and
the ‘right’ field zjðtnÞ. For example, we might look for
coupling between monthly anomalies of tropical
Pacific sea surface temperature at an array of buoys
(left field) with monthly gridded Northern Hemi-
sphere 500 hPa height anomalies (right field). The two
fields must be given at the same time, but not
necessarily at the same spatial locations.

Maximum Covariance Analysis (MCA)

MCA (also commonly known as SVD) was first
applied to an atmospheric problem in 1976 by
Prohaska, and was comprehensively compared with
other methods of space–time analysis by Bretherton
and colleagues. MCA finds an optimally coupled left
spatial pattern u and a right spatial pattern v, both unit
vectors. They are chosen such that the projection
a1ðtÞ ¼ u . yðtÞ of the left-field values onto the u

direction has maximal possible covariance with the
corresponding projection b1ðtÞ ¼ v . zðtÞ of the right-
field values in the v direction. The solution is obtained
by singular-value decomposition of the cross-covari-
ance matrix Cyz between the gridpoint values of the
left field and those of the right field. If its left and right
singular vectors are lk and rk, ordered from largest to
smallest singular value sk, then the optimal u and v are
the leading left and right singular vectors l1 and r1.
Succeeding singular vectors define coupled spatial
modes that maximize the covariance subject to
orthogonality with the previous modes. Unlike with
PCA, the corresponding modal amplitudes may be
temporally correlated.

MCA is efficient to numerically implement, requires
no prefiltering of the fields, and produces spatial
patterns that exhibit broad coupling over as much as
possible of the spatial domains being analyzed. Its
optimality characteristics usually provide excellent
results, but there are caveats. One is that even if two
fields are perfectly linearly coupled (e.g. a two-
dimensional streamfunction and corresponding vorti-
city field), MCAmay only approximately identify this
coupling. A second caveat is that as with PCA, the
spatial orthogonality constraints on succeeding spatial
patterns may mix physically distinct but spatially
nonorthogonal modes of variability.

Canonical Correlation Analysis

CCA, first developed by Hoteling in 1936, seeks a
linear combination aðtÞ ¼ u . yðtÞ of the left-field
values and a linear combination bðtÞ ¼ v . zðtÞ of the
right-field values that have maximal temporal corre-
lation. This optimality criterion is similar to MCA
(which maximizes covariance). In practice, the differ-
ence is that CCA can choose linear combinations that
explain little of the variance in their field but are highly
correlated with the other field. MCAwill select linear
combinations that explain significant variance in their
fields but may be slightly less well correlated with the
other field.

The optimal solution can be found by first perform-
ing PCAon each field. This yields standardized left and
right principal components akðtÞ and blðtÞ. Then a
singular value decomposition is performed on the
cross-covariance matrix between akðtÞ and blðtÞ. The
left/right singular vectors are transformed back into
gridpoint coordinates to get the weight vectors uk=vk.
The singular values are the correlations between the
corresponding time-series aðtÞ and bðtÞ.

To obtain robust results with CCA if a limited
number of times have been sampled, one should first
prefilter the data onto a small set of leading principal
components of each field (that collectively explain
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70–90% of the variance) to avoid spurious large
correlations associated with overfitting. In this case,
CCA tends to give quite similar results toMCA for the
leading pattern. Successive patterns are temporally
uncorrelated but may be spatially nonorthogonal.
CCA is slightlymore numerically intensive thanMCA,
and the prefiltering step slightly complicates the
analysis procedure. However, it can sometimes be
preferable if strong coupling between the fields is
geographically localized.

Redundancy Analysis

In redundancy analysis, an application of multiple
regression first developed in the 1970s, one tries to
explain the maximal fraction of the variance of the
right (predictand) field using the left (predictor) field.
This can be viewed as a collection of least-squares
multiple-regression problems for the right-field values
at each location. As with CCA, prefiltering is recom-
mended to avoid overfitting of the data.

Aggregated PCA

The above methods look for coupling between two
scalar fields. Coupling between more than two fields,
or a vector field and a scalar field, can be handled by
aggregating some of the fields after standardizing them
to comparable variance, and analyzing coupling
between two aggregated fields. Another approach in
this case is to aggregate all of the fields into a single
field, whosemodes of variability are found using PCA.
The resulting modes optimize a combination of the
explained variance within individual fields and the
covariance between fields, and may not pick out the
patterns of coupling between the fields as effectively as
the previous methods.

Principal Oscillation Pattern (POP)
Analysis

Some physical systems can profitably be idealized as a
damped linear response to stochastical forcing. POP
analysis fits such a model to the space–time variability
of a field or coupled fields. Given a vector yn of
observations at times tn of one or more fields at one
or more locations, the fitting model has the form of
eqn [4].

ynþ1 ¼ Ayn þ fn ½4�
The stochastic forcing fn is a noise vector uncorrelated
between observation times, and A describes the
evolution of the unforced system. The eigenvalues of
A should all havemagnitudes less than one, so that this
model can describe a statistically stationary process.

The corresponding eigenvectors of A (the POPs)
describe the characteristic unforced patterns of spatial
variability of the system; those with eigenvalues near
to one in magnitude are slowly damped and will tend
to dominate the observed response. Complex eigen-
values correspond to damped oscillations; the corre-
sponding POPs are also complex, and the real and
imaginary parts of the POP describe the oscillations in
the spatial structure of the response.

To estimate A from the data, consider the expected
value E½ . � of an outer product of eqn [4] with yn
(eqn [5]).

E½ynyTnþ1� ¼ AE½ynyTn � ½5�
From eqn [5], A can be estimated based on the
empirical lag-0 and lag-1 covariance matrices.

Nonlinear Methods

The above ‘linear’ analysis techniques decompose an
observed field into the sum of modes, each of which is
the product of a spatial pattern and a time-varying
amplitude. Some phenomena, such as ENSO sea
surface temperature variability, show a somewhat
different spatial anomaly pattern in the positive phase
from that in the negative phase, and may be more
efficiently described as nonlinearmodeswhose pattern
covaries with their amplitude. One standard check for
this behavior is to composite the spatial anomalies
corresponding to positive and negative values of an
index time-series and see whether they are substan-
tially different in structure.Neural net techniques have
recently been developed that may prove to be useful
for isolating such nonlinear modes of variability.

See also

Climate Variability: North Atlantic and Arctic Oscillation.
El Niño and the Southern Oscillation: Theory.
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Introduction

Study of the records of weather and climate over time
is extremely valuable for practical as well as theoret-
ical purposes. For example, the instantaneous temper-
ature or humidity taken at hourly intervals constitutes
a time series ofmeasurements. Suchdatamight be used
formany purposes such as assembling a climatological
summary for the site or for performing an analysis to
identify the underlying physical processes responsible
for certain interesting features of the data. In such
an example, we might not be surprised to find a daily
swing of the temperature and humidity as well as
an annual oscillation. Were we to plot these hourly
temperatures, a nearly repeating graph of period 24
hours would result (the diurnal cycle). Examination
over longer time spans leads to the identification of an
annual cycle in the data. By simple inspection, we
would rather quickly decide that there is some
underlying physical agent responsible for these near
repetitions or periodic statistics in the data stream.
This is an example of the most primitive form of time
series analysis.

Manydecades of experience have led environmental
and statistical scientists to devise very sophisticated
methods of studying records of time series. The most
powerful innovation is the idea of a mathematical
model of the time series. A mathematical model
involving random components is a very convenient
way of representing a time series of data. Such models
always employ simplifying assumptions, but such
techniques work in a surprisingly large number of
applications, especially in the geosciences.

Before describing how such a time series can be
constructed, we must introduce the idea of a random
variable. A random variable can take on values drawn
from a certain probability distribution. For example,
the outcomes of flipping a coin are a random variable.
Each flip constitutes a realization of the random
variable – either heads (H) or tails (T). The probability
distribution is 50–50 (probability 0.5 forH, 0.5 for T).
More commonly encountered in geophysical and
behavioral sciences is the case where the variable can
take on a range of discrete or continuous values and its
frequency distribution is the normal or bell-shaped
curve distribution. An example is the distribution of
heights of individuals. Drawing names from a hat and
announcing the height of the individuals is equivalent

to generating realizations of the height random varia-
ble.Most realizationsof suchaprocessyield valuesnear
the center of the bell-shaped curve, with large excur-
sions from the population average being very rare.

The mean of a random variable is the arithmetic
average of its values taken over many realizations
(actually the limiting value derived from infinitely
many). The variance is the average of the squares of the
deviations from the mean. The deviation from the
mean for two variables can be multiplied together and
averaged over many realizations to form the covari-
ance of the two random variables. As the name
implies, the covariance is a measure of how two
random variables covary. If the two variables are
identical then their covariance is simply the variance.
If the two variables are not statistically related to one
another then the covariance is zero. The correlation
between two random variables is the covariance
divided by the square root of the product of the
variances. Its magnitude is always less than or equal to
unity. Anticorrelated variables have negative correla-
tion (and covariance). In a time series we are often
interested in how an entry covarieswith or is related to
past (or future) entries. In particular, we would like to
know if it is correlatedwith immediately past entries, a
property known as serial correlation.

White Noise

The simplest model of a randomly based time series is
one in which each new time step leads to a statistically
independent (no serial correlation) drawing (like the
heights of individuals above); but each new entry is
drawn from an identical distribution. Each data entry
is statistically independent of the previous one. This
model is called the statistically independent, identi-
cally distributed white-noise model. It is the most
importantmodel in time series analysis since almost all
other statistical models are derived from it.

A few properties of the white noise model (we
hereafter assume that the identically distributed
property is included) are worth mentioning. First,
the mean of the entries of such a time series can be
estimated by adding the values of a long series of
entries and dividing by the number of entries used. In
doing this we are actually finding an estimate of the
underlying mean of the probability distribution of the
individual entries. Another property of time series that
is easily demonstrated with the white-noise model
time series is that of an independent realization of a
time series. Abovewe introduced the randomvariable.
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In time series we actually have a random function or
string of random variables, with individual realiza-
tions being individual graphs of the function. The
property that is so evident is that averaging along the
time series is equivalent to fixing the time and
averaging across realizations to find the mean. This
property of ensemble averaging is a very powerful one,
which enables many of the proofs and analyses of time
series analysis. An example of a single realization of a
white-noise process is shown in Figure 1.

An example of a white-noise time series is the
heights of students standing in a cafeteria queue. On
the other hand, consider the heights of succeeding first
sons in an ancestral sequence. There is a genetically
determined correlation between the height of a father
and that of son. Such a time series exhibits a positive
serial correlation which diminishes to zero after a few
generations – a phenomenon known as regression to
the mean.

Stationary Time Series

Consider next a time series which is not necessarily
white-noise. That is to say, an entry may not neces-
sarily be statistically independent of its predecessor –
there may be serial correlation. Nevertheless, the time
seriesmay not have any preferred origin. That is, aswe
look along the time series, statistically speaking, each
time is equivalent to each other time. In such a time
series the mean is independent of time and so is the
variance. The covariance between an entry and that a
certain number of steps, say n, earlier depends only on
the temporal separation or lag, n. A time series having
the above properties is called a ‘stationary’ time series

and these are common in nature. (Strictly speaking this
only defines a second moment stationary time series,
since nonstationary properties of the probability
distribution may still be present. If the random
variables are normally distributed, these mean and
covariance stationary properties suffice to determine
the strong forms of stationarity.) Perhaps some exam-
ples of nonstationary time series will help clarify the
concept. The diurnal or seasonal data mentioned
above are examples of nonstationary time series since
theirmeans dependon local time of dayor time of year.
In addition, their variances will also have such a phase
dependence; even their serial correlation structure
may have a phase dependence – for example, the serial
correlation between entries may by greater in winter
than in summer. At first glance the sequence of heights
of first sons across generations may seem like a
stationary time series, but there is known to be a
secular trend of increasing heights over generations,
probably because of better nutrition.

Despite our ability to enumerate many time series
that are nonstationary, the model of a stationary time
series is very valuable in the geosciences. For example,
annual averages of temperature at a location are likely
to form a stationary time series at least to a good
approximation. The statistics of such a time series
(mean, variance, serial correlation properties) make a
good summary of the sequence and for many purposes
may form an adequate substitute in practical applica-
tions. For example, an insurance company may want
to know the likelihood of the temperature (or flood
water level) exceeding a given threshold. The serial
correlation structure is particularly important in
drought, where sequences of dry years can be the
most important indicator of consequences.
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Figure1 Anexampleof a realizationof awhite-noise timeserieswith 100entries. Themeanof this timeseries is 2.00and theentriesare

drawn from a normal distribution with unit variance. In this plot as in subsequent ones the entries are joined by a continuous line.
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Autoregressive Processes

The most common type of time series encountered in
the geosciences is the first-order autoregressive process
(known as the AR1 process). In this process each new
entry can be written mathematically as the sum of two
terms, the first proportional to the previous entry, the
second an additive white-noise term. Higher-order
autoregressive processes (ARn) model the next entry
as a sum of nþ 1 terms, the first n of which are
proportional to the previous n entries along with the
additive white-noise term.We concentrate here on the
AR1 process because of its central importance. The
parameterswhich describe the time series are itsmean,
its variance, and its so-called lag-one serial correla-
tion. It is the job of the analyst to take the given data
series and determine or fit the parameters to the data.
That is, one wants to know the mean, variance, and
lag-one serial correlation in the data. If the lag-one
serial correlation turns out to vanish, then we infer
that the series can be modeled by a white-noise time
series (AR0). If the lag-one serial correlation is r then
the lag-two is r2, and so on. In the limit of very small
time steps in the series this tends to an exponential
falloff of serial correlation. The value of n for which
the serial correlation falls to 1=eð¼ 0:3678 . . .Þ is
known as the autocorrelation time. The autocorrela-
tion time is ameasure of thememory of the system. It is
often said that the system ‘forgets’ its past values after
a few autocorrelation times (Figures 2 and 3).

Fourier Analysis of Time Series

If there are physical reasons to think that a time series
of data is stationary, then Fourier analysis of the data
can lead to a number of powerful techniques useful in

applications. One begins the analysis by taking the
finite-length segment of data in the sequence and
estimating the Fourier coefficients for representing the
data as a Fourier series on the segment. In this process
one is representing the data in terms of the Fourier
coefficients instead of the temporal entries. The two
are equivalent ways of expressing the content of the
data. Each Fourier coefficient is a component or
amplitude of a certain sinusoidalwaveform in the data
stream. From the point of viewof time seriesmodeling,
the Fourier coefficients are random variables, since
from one realization of the process on the same
segment to another the coefficients will differ. How-
ever, they will have certain statistical properties
common across the ensemble of realizations. If the
segment is sufficiently long and the series is stationary,
it can be proven that the Fourier coefficients corre-
sponding to different frequencies are uncorrelated.
This permits us to perform an analysis of variance over
the different frequency bands to examine how vari-
ance is distributed over frequencies. It is routine to plot
a graph of the variance or sometimes known as power
as a function of frequency. This is known as spectral
analysis.

The most common example is the white-noise time
series. The white-noise spectrum is flat; that is, every
frequency band has allotted the same variance. Hence,
oneway of determiningwhether a certain time series is
white-noise is to perform the Fourier analysis and plot
the spectrum (variance or power versus frequency). If
the spectrum is flat, we can infer that the time series is
white-noise. Of course, if the time series segment is
short, there will be problems in estimating the spec-
trum of the underlying process because of sampling
error. Analysts have devised many useful techniques
for statistical testing of the white-noise hypothesis.
The term ‘white-noise spectrum’ derives from optics,
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Figure 2 An example of a realization of an autoregressive

processof orderone. In this example thepresent entry is 0.75 times

the previous entry with an added normally distributed variable of

variance 0.25. The mean of the time series is 3.00.
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Figure 3 The autocorrelation function corresponding to the AR1

process depicted in Figure 2. The lag is treated as a continuous

variable for this plot for clarity of the display. The autocorrelation

time for this process is about 4.0.

DATA ANALYSIS / Time Series Analysis 623



where it refers to white light, which has an electro-
magnetic energy intensity which is somewhat uni-
formly distributed across the visible part of the
spectrum. By the same analogy, a red noise spectrum
is one which has its energy more concentrated in the
lower frequencies as opposed to being uniform.

The AR1 spectrum is of the red noise type. The
characteristic frequency where the spectrum begins
to turn downwards is at about the inverse of the
autocorrelation time (Figure 4).

Applications of Time Series Analysis

Not only do time series analyses provide new insights
into the underlying physical processes generating an
empirical time series, but they are useful in a variety of
practical applications.

A very common use of time series analysis is data
smoothing. Often one wishes to smooth out the highly
irregular short-term fluctuations in a time series to get a
better view of longer-term trends or undulations. This
can be accomplished by running a smoother over the
time series. For example, onemight take as the value at a
certain time the arithmetic average over several future
and past values. These past and future entries can be
weighted in various ways to make the smoothing
optimal for the particular application. This class of
operations is known as moving-average smoothing.

Perhaps the most important application is forecast-
ing. One might ask, given a segment of a data-derived
time series, if it possible to use this information to
forecast future entries. The answer in principle is
simple. In the case of a white-noise time series (or an
empirical one which is indistinguishable from white
noise) there can be no forecast skill, since each entry is
statistically independent of the past entries. But in the
case of an AR1 process there is correlation with past
entries and this will permit some statistical estimate of
future entries out to roughly one autocorrelation time.

The estimate will not only provide a most probable
value of the future entry, but some assessment of the
uncertainty in the forecast – perhaps even a theoretical
frequency distribution of values that can be expected.

Interpolation is a second application of time series
modeling. Suppose there are missing values in an
empirical time series and for some reason one wishes to
insert values that are statistically consistent with the rest
of theentries.Firstonefindsamodelof the timeseriesand
then one can find the most probable entry with an
associated theoretical frequency distribution. Depending
on the application, one may wish to insert the most
probable value or add to it a random number which is
consistent in a statistical sensewith thenearest neighbors.

A third application is in the area of signal process-
ing.One often finds a deterministic signal embedded in
some kind of noise (white or colored). The object
usually is to separate the noise from the signal and to
estimate the amplitude of the signal. This is the
problem in radio reception. We refer to the process as
detection. By time series modeling and knowing some
characteristics of the signal wave form one can find an
optimal estimate of the signal strength. In electronics
onemightwant to clean the noise away from the signal
and amplify the residual, while in other applications
one might want to find the amplitude of a periodic
signal such as the diurnal or seasonal cycle. One of the
most famous applications of this type in the geosci-
ences is the detection of periodic signals in the record
of changes in continental ice sheet volume. These
excursions have been found to contain significant
variance peaked at periods of 100 000, 43 000 and
20 000 years, and these just happen to coincide with
the periods of the changes in the elliptical orbital
parameters of planet Earth (eccentricity, obliquity, and
precession of the equinoxes). Thus time series analysis
was able to show conclusively that the ice ages are
linked to the changes in the Earth’s orbital elements.

See also

Data Analysis: Empirical Orthogonal Functions and
Singular Vectors.
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Figure 4 A log–log plot of the spectrum associated with the AR1

processdepicted in theprevious twofigures.Note that the logof the

spectrum turns over at about a frequency of 2p divided by the

autocorrelation time, which in this case is taken to be 4.00.
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Density currents (also known as ‘gravity currents’) in
the atmosphere are air flows that are principally due to
differences in density (i.e., temperature) between
neighboring bodies of air. Descending cold dense
bodies of air down sloping terrain are sometimes
termed ‘katabatic flows’ or ‘katabatic winds’, and
ascending heated air constitutes ‘anabatic winds’.
Such density differences cause lateral pressure gradi-
ents which produce horizontal motion, with cold air
moving over the ground into a warmer air mass.
Strong vertical motion occurs on length scales of
several hundred meters but the currents can travel
hundreds of kilometers. The Earth’s rotation (via the
Coriolis force) is normally not important for these
flows, unless they last for many hours. In this article I
give some examples of these flows, and then describe
their basic dynamical properties for flows over hori-
zontal ground that move in one direction, and that
move radially outward in two dimensions. I then
proceed to discuss density currents that flow down
slopes, taking into account the effects of radiative
forcing and environmental stratification.

Examples

Atmospheric examples of such flows are common.
They include sea breezes, in which heating of the air
over the land by convection from the solar heated
surface below causes a lateral density difference
between that and the relatively cooler air over the
ocean. The onshore flowing sea breeze is the result.
Similarly, the weaker offshore nocturnal land breeze
occurs due to radiative nocturnal cooling over the
land. In fact, nocturnal cooling is a common cause of
density currents over uneven topography, which tends
to cause larger lateral gradients and currents than over
horizontal terrain: radiative cooling of the air causes
flow down sloping topography, forming drainage
flows, and valley winds. Another source is thunder-
storms,which contain downdraughts of cold air due to
the drag of falling raindrops, and their evaporation.
On reaching the ground, these downdraughts spread
as gust fronts (see Gust Fronts) and form density
currents. Cold fronts usually contain one or more
squall lines, which consist (by definition) of a line of
thunderstorms, so that the associated downdraught-
produced density currents are conspicuous features of

cold fronts. Such flows are sometimes made visible by
suspended dust, which mark out the features of the
cold density current. Noted examples of these are seen
in the Sudan (where they are known as haboobs), and
in India, Australia, and Arizona during dry summers.
In these flows the dust usually makes a negligible
contribution to the density difference, but this is not
the case in another example of density currents –
powder snow avalanches. Here turbulence causes the
snow to be suspended in the air, producing the density
difference that causes the downflow, which in turn
produces the turbulence.

Unidirectional Density Currents

The dynamical essentials of the above phenomena can
be encapsulated by looking at simple idealized flows
that represent them. These can best be seen from
simple laboratory experiments. Here water is used to
represent air, because both are effectively incompress-
ible for motions on these length- and timescales. A
density current can be created in the laboratory by
releasing cold water into relatively warmer water, but
it is usually simpler to work with isothermal fresh
water and use dissolved salt to make the water denser.
In Figure 1 a body of dense salty water has been
released into a tank of freshwater, producing a density
current moving from right to left over a horizontal
surface, viewed from the side. The leading part of the
current consists of a ‘head’ with an overhanging
leading nose. This head may be regarded as a limiting
form of hydraulic jump in a cold layer of dense fluid, in
which the depth upstream of the jump is zero (see
Hydraulic Flow). Behind the head the fluid has a three-

Figure 1 Shadowgraph showing the structure of the flow in and

behind a density current head.
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layer structure. The layer of dense fluid constituting
themain part of the current is at the bottom. This fluid
moves faster than the head, and catches up with it.
There it rises and ismixedwith the surrounding lighter
environmental fluid, and forms a density-stratified
layer, spread out above the bottom current. Vorticity is
produced in the upper part of the head by shear
between the head and the ambient fluid, and this is also
deposited in the stratified layer (see Vorticity). This
mixed stratified layer moves slowly in the direction of
the current. It is highly turbulent immediately behind
the head, where most of the mixing takes place, and
this turbulence decays with distance from the head.
Here the interfaces between the mixed layer and the
dense fluid below and the environmental fluid above
are generally stable, so that apart from the decaying
turbulence little further significant mixing occurs.

Figure 1 shows a two-dimensionally averaged
picture. In fact, density current heads have three-
dimensional structure, as shown in Figure 2. The
leading edge contains many lumps and bumps, and
these shapes change continually as the head propa-
gates. Some small parts of the head are more advanced
than others, but these then disappear and are over-
taken by others. This lobe and cleft structure is due to
the drag on the current by the rigid lower surface over
which it propagates. This retards the lowest levels of
dense fluid, causing the overhanging noses. The lighter
fluid beneath these noses then rises through the dense
fluid driven by its buoyancy, and this causes the
unstable three-dimensional lobe and cleft structure
that is seen in Figure 2. This structure can sometimes
be seen in the atmospheric examples cited above,
where dust or moisture make the cold air visible.

We may consider an idealized two-dimensional
model of a density current, in which the volume fluxQ
and density r1 of the dense fluid are specified at a given
source location. If the density of the environmental
fluid is r0, the buoyancy of the dense fluid is then
g0 ¼ ðr1 � r0Þg=r0. Behind the head, the velocity v1
and thickness d1 of the dense layer are approximately
constant. We then have Q ¼ v1d1, and from dimen-
sional analysis alone we have

d1 � ðQ2=g0Þ1=3; v1 � ðQg0Þ1=3 � ðg0d1Þ1=2 ½1�
The speed vH of the head also scales with v1, with
vHov1. Laboratory observations of flow into a
deep homogeneous environment at large Reynolds
numbers give

vH ¼ 1:2ðg0d1Þ1=2; v1 ¼ 1:4ðg0d1Þ1=2 ½2�
which are approximately constant with time for a
sustained source of fluid. The same observations also
show that the total height of the head is typically 3d1,
and the height of the nose is about 0:15d1. These
expressions apply to density current heads in general,
when the buoyancy and thickness of the dense fluid
approaching the head are given by g0 and d1. This
steady pattern is maintained because the driving
pressure gradient is retarded by loss of momentum
through mixing in the head (see below), and the
following current is restrained by friction with the
bottom surface and the fluid above. When the current
becomes long, the thickness of the dense layer
decreases gradually away from the source, providing
a small pressure gradient to overcome friction.

Unidirectional Density Currents due to Collapse
of a Dense Body of Fluid

Density currents may also be created by suddenly
releasing a large bodyof dense fluidwithin a stationary
environment of lighter fluid. This models a finite-sized
source, and is readily simulated in a laboratory tank by
rapidly raising a vertical barrier that separates the
dense and lighter fluid. In a two-dimensional situation
where the fluid spreads in the x-direction only, the flow
passes successively through three stages. In the first
stage of collapse of the dense fluid (of initial depth d0,
length L0, and area A ¼ A0 ¼ d0L0 in fluid of total
depthD0), termed the slumping stage, the front travels
as a density current of constant speed and depth.
However, the surface of the dense fluid behind this
front is not horizontal as large-amplitude internal
waves propagate on it (see Figure 3). These waves
reflect from the left-hand end (or center, for a
symmetric collapsing body), and the character of the
flow changes when they catch up to the front, or
density current head.

Figure2 A laboratory simulationof a density current, inwhich the

dense fluid has been made visible by milk. Note the lobe and cleft

structure of the dense fluid interface, and the low-level transient

overhanging noses.
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Upper-level stratification often has a significant
effect on density current propagation in the atmos-
phere. For example, it is common for sea breeze fronts
to propagate inland under an atmospheric inversion,
which acts as an effective lid. This may be represented
in experiments by a finite total depth. If this is present,
the resultingmotionof the ambient fluidmay affect the
waves on the interface with the dense fluid, and hence
affect the details of the slumping behavior. In partic-
ular, the presence of a reversed flow in the upper layer
causes a corresponding reduction in the speed over the
ground of the collapsing front, relative to eqn [2]. The
distance xs at which the slumping phase ends and the
waves reach the head, measured from the end of the
tank, is then observed to be

xs
L0

¼ 3þ 7:4
d0
D0

½3�

After the reflected waves have caught up with the
density current head the flow enters the second self-
similar stage, which is dominated by inertia, buoyan-
cy, and mixing. Here the dense fluid collapses in the
form of a rectangle of approximately uniform area,
with increasing length and uniform decreasing height
d1. This rectangular uniformity is maintained by
internal waves propagating outwards on the dense
fluid interface. Mixing in the main body of the
collapsing rectangular current is generally very small.
This is because the mean gradient Richardson number
at its upper boundary (on which mixing depends) is
generally greater than 0.25, implying that the mean
flow is stable and does not generate local mixing (see
Kelvin–Helmholtz Instability). Hence the density
within the collapsing rectangular body of dense fluid
remains largely unaltered until the fluid enters the
head, where most of the mixing takes place. The total
rectangular area AðtÞ of unmixed dense fluid contin-
ually decreases because v1ovH in eqn [2]. During this
stage, the length of the dense fluid increases as
ðAg0t2Þ1=3, so that the velocity of the density current
head decreases with time as ðAg0=tÞ1=3 because of the
steady decrease of d1. This continues until the third

stage is reached, where the motion becomes sufficient-
ly thin and slow for viscous effects to become
important, a regime that is not relevant here.

In the second stage, dense fluid enters the head from
behindwhere it ismixedwith environmental fluid.The
result is spread out behind, in a layer over the dense
layer. The rate of mixing within the head is roughly
proportional to its mean height, and hence decreases
with it. At early times in this stage (x > xs), the
detrainedmixed fluid consistsmostly of the dense fluid
with a small part of environmental fluid. However, as
the current proceeds, this proportion reverses and near
the end ðx � xsÞ, nearly all the mixed fluid is
environmental. When the end of the second stage has
been reached (at x ¼ xs þ 29A

1=2
0 ), and mixing has

effectively ceased, the total volume of mixed fluid that
has been produced is slightly more than twice the
initial volume of dense fluid. The volume of the
remaining unmixed dense fluid is quite small, so that
overall, the dense fluid and environmental fluid have
been mixed in approximately equal proportions.

The vertical shear of the horizontalwind also affects
the behavior of density currents. For small positive
shear (i.e. stronger low-level flow opposing the
current, weaker aloft), the forward face of the density
current steepens and the current thickness increases,
with the opposite effects for negative shear. This has
important implications for convection initiation by
downdraught outflows and sea breezes over islands.

Radial Density Currents

In the atmosphere, collapsing localized bodies of dense
fluid may be constrained to spread in one direction if
they are spatially confined such as in a valley. How-
ever, this is usually not the case for thunderstorm
downdraughts, for example, which are often free to
spread horizontally without confinement. These and
other localized sources of cold air in flat terrain, or in a
valley that widens at a constant rate, can cause density
currents that spread in the radial direction. These have
a curved front or head, expanding radially away from
anominal central source. Provided the curvature of the
front is not too large, the speed of the front and the
fluid behind it are given approximately by eqn [2].

Such flows may be modeled by axisymmetric
collapsing bodies of dense fluid, which have some
properties that resemble those of one-dimensional
spreading. Again, there are three stages of spreading:
the slumping, inertial-buoyancy balance, and viscous
stages. For a body of dense fluid of initial height d0,
radius R0, and volume V0, in fluid of overall depthD,
the initial collapse occurs in the ‘slumping’ stage,
governed bywave propagation and adverse flowof the

Figure 3 Schematic diagrams showing various stages at suc-

cessive times in the initial slumping stage of the collapse of a

rectangular volume (shown dashed) of dense fluid with d0=D � 1.
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ambient fluid. Here the radial position R of the front
increases at a constant speed in the range R0oRoRs.
The shear between the front of the dense fluid and the
ambient fluid produces vorticity that is initially con-
tained within the mixing head of the current, and as
the front expands this vorticity increases by vortex
stretching (Figure 4). Downbursts that cause this
process may occur on a range of scales, from several
hundred meters or more for thunderstorm down-
bursts, and somewhat less than this for microbursts
(see Microbursts). The latter constitute particular
hazards for light aircraft on take-off and landing,
because they may create strong localized circular
vortices with radii of 100m or more.

The vortex intensifies as it expands, and initially
may be much deeper than the following fluid. For a
small initial volume of dense fluid, this expanding
vortex ring of dense mixed fluid is all that is produced.
But, for a larger initial volume, as the dense fluid
expands and the head moves forward, the initial
vortex progressively breaks up and is subsumed into
themixed layer.Newvorticity is continually created at
the head, as for the unidirectional currents, but this is
associatedwith newlymixed fluid and the stretching is
much less than that in the initial vortex. In this
second inertial-buoyancy phase (whereR > Rs), grav-
ity waves maintain approximately uniform depth of
the body of dense fluid, and it collapses in the form of
an axisymmetric pillbox, with the volume slowly
decreasing due to mixing and detrainment behind the
circular head. If the volume of dense fluid at any given
time is V ¼ pR2d1, and the properties of the front are
given by eqn [2], the radius R increases as

R � ðg0VÞ1=4t1=2 ½4�
V slowly decreases as dense fluid entering the head is
mixed, and this dynamical regime continues until (in
the laboratory) the viscous regime is reached.

If the source of dense fluid is maintained with
constant volume flux Q1, the initial vortex and head
form as above but the flow behind it evolves differ-
ently, as the depth d1 and velocity v1 of the following

radial outflow are not uniform and decrease with
radial distance r. The only significant mixing occurs
behind the head, and for steady flow, dimensional
analysis gives

d1 � Q2
1

g0r2

� �1=3

; v1 � Q1g
0

r

� �1=3

½5�

In the inertio-gravity range, the radial speed of the
head is then given by

vH ¼ 0:63
Q1g

0

t

� �1=4

½6�

Density Currents down Slopes

When the terrain is not horizontal but slopes down-
wards, buoyancy acts directly to drive the current
downward, and this is stronger than the indirect effect
of establishing a horizontal pressure gradient as
described above. The downslope buoyancy force is
now g0 sin y per unit mass of dense fluid, where y is the
angle between the slope and the horizontal. The onset
of a steady source of dense fluid at the top of the slope
leads to the formation of a density current head similar
to that described above (see below). In the following
current the physics is different, because the flow is now
unstable, unless the slope angle is very small. Mixing
now occurs along the whole length of the density
current, andnot just behind the head.After the passage
of the head an approximately steady flow is estab-
lished, with the buoyancy force being balanced by the
drag on the bottom surface, and by the entrainment of
environmental fluid into the current from above. For a
homogeneous environment, both the size of the head
and the thickness of the following current increase
with downslope distance.

Behavior of the Head

For a constant supply of dense fluid of buoyancy g0
0

andflow rateQ0 at the top of the slope, the speed of the
head vH is almost independent of slope angle and is
given approximately by

vH ¼ ð1:5� 0:2Þðg00Q0Þ1=3; 5� 	 y 	 90� ½7�
However, in spite of this uniform speed, the size of the
head increases as it moves downslope, at the rate

dH

dx
¼ 0:72y

p
½8�

whereH is the height (or thickness) of the head, x is the
downslope distance, and y is in radians. The increased
buoyancy at steeper slopes is balanced by increased
entrainment that acts to keep the head speed constant,
regardless of downslope distance and slope angle.

Figure 4 Schematic diagram of the ring vortex shortly after a

downdraught reaches the ground.
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Entrainment in Downslope Flows

After the passage of the head the following flow is
unstable and mixing with the overlying fluid results.
This process becomes stronger with increasing slope
angle y. The mixed fluid above the dense layer is also
denser than the environment, and hence it also moves
downslope under gravity but at a reduced speed. The
thickness and volume of thismixed layer both increase
with downslope distance. This combined flow may
now be regarded as a single entity, and the net
downslope buoyancy flux is constant with x and t,
and equal to g00Q0. The net entrainment of environ-
mental fluid into this overall downslope flow may be
described by an entrainment coefficient E which is a
function of the bulk Richardson numberRi, defined by

Ri ¼ g0d cos y
U2

½9�

whereU is the mean velocity and d the mean thickness
of the total flow (see Kelvin–Helmholtz Instability.
Turbulence, Two Dimensional). At each level, the
velocity of inflow we of the environmental fluid into
the downflow is given by

we ¼ EðRiÞU ½10�

where U is the mean velocity of the downflow. E
decreases monotonically with increasingRi, from E ¼
0:075 at Ri ¼ 0 to very small values for Ri > 0:8. In
these flows, Ri is approximately constant with down-
slope distance, and decreases with increasing slope
angle. Experiments show that U, and hence we, are
also constant, so that the downslope flux Q and the
lateral spreading increase linearly with distance.

Downslope Flows into Stratified Environments

If the environmental fluid is density stratified, its effect
on density currents flowing over a horizontal surface
are mostly limited to its effects on the surrounding
flow, and the generation of internal waves (see
Buoyancy and Buoyancy Waves: Theory). However,
for flows down slopes, if ambient stratification is
present it is a major parameter. If N is the buoyancy
frequency (see Buoyancy and Buoyancy Waves:
Theory) of the ambient stratification, onemay identify
a depth D below the source, defined by N2 ¼ g00=D,
where the ambient density equals the inflowing den-
sity. If there were no mixing, all of the inflowing fluid
would be expected to reach and spread horizontally at
this level. The downslope speed of the head is again
approximately constant over most of its distance
travelled, and scales with eqn [7] above. The main
differences from the homogeneous case concern the
following current, which we next discuss.

For slope angles less than about 201, it is appropriate
here to regard themain dense current and the partially
mixed layer above it as separate entities. In laboratory
experiments a clear interface is visible between them,
although there are turbulent fluxes across it, as shown
schematically in Figure 5. These flows are governed by
two dimensionless parameters – a bulk Richardson
numberRi defined as in eqn [9] but based on the dense
layer only, and a parameter M, defined by

M ¼ QN3

g02
½11�

which is a measure of the effect of the ambient
stratification. The dense layer is observed to have
approximately uniform thickness over most of its
length, but its velocity mostly decreases with down-
slope distance. It loses fluid to the layer above, but also
entrains fluid from it so that its density progressively
decreases. The fluid that remains reaches its ambient
level where it spreads out, at a distance somewhere less
thanD below the source. Entrainment into this dense
layer may be expressed in terms of an entrainment
coefficient that depends on Ri in a manner similar to
eqn [10]. There is also a loss of dense fluid to the
mixing layer, and an exchange between the mixing
layer and the environment. Fluidmay leave themixing
layer to find its own neutral level, and this occurs
continuously along the path of the current. Dense fluid
from the source may therefore be distributed over a
range of depths, and not all at one level. This
detrainment into the environment depends on both
Ri andM – largerM implies larger detrainment, to the
extent that all the dense fluid may be detrained before
it reaches its ambient level.

In these flows, detrainment exceeds entrainment.
The buoyancy force is mostly balanced by bottom
drag. If this balance is disturbed by, for example, the

Figure 5 The turbulent, mixing interface in the body of a dense

layer flowing down a slope at 61 to the horizontal, in a density-

stratifiedenvironment. Thedensefluid is the lightly dyed layer close

to the boundary. Note the filaments extending from it, and the

partially mixed fluid above.
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flow encountering a sudden increase in bottom slope,
the balance is temporally disturbed, and the current
may vigorously entrain over a short distance in
reaching a new balanced state, beyond which detrain-
ment continues.

Katabatic Flows Forced by Radiative Cooling

Aprominent source of density currents is cooling of air
near the ground through radiation. This is a common
occurrence at night, particularly under clear skies, and
causes drainage flows over uneven terrain. In complex
terrain, this can occur at a number of source regions, at
different altitudes. Depending on the circumstances,
these flows may be quite strong and have depths of
several hundred meters, or only have speeds of several
m s�1 and depths less than 50m. Nocturnal cooling
also tends to re-establish the ambient stratification at
low levels that is destroyed by convection during the
day. The processes described above can then cause a
complex interleaving of stratified layers of air that flow
progressively down several slopes, or find their own
environmental level, giving flow in various different
directions at different heights. Since this occurs at
night, good observations of these complex flow
patterns are rare.

One region where katabatic flows are common and
are reasonably well observed and understood is
Antarctica (and to a lesser extent, Greenland), where
radiative cooling over the ice sheets sets up a perpetual
drainage regime over the whole continent (see Ant-
arctic Climate). Cold air produced over the central
plateau drains off it towards the coast in a layer that is
several hundred meters thick, and several degrees
colder than the air above. This effect exists throughout
the year, and is particularly strong in winter. Speeds
increase as the topographic gradient increases toward
the coast. Here the intensity of the katabatic flows
varies according to the local synoptic situation, but
very strong winds of 40m s� 1 or more may last for
days, or even weeks in certain locations. Near the
coast, or up to 50 km out to sea, this shallow, intense

(supercritical) air stream may undergo an internal
hydraulic jump (see Hydraulic Flow) and adjust to a
broader, more slowly moving (subcritical) air stream.
These cold offshore katabatic flows may push the ice
away from the coast, causing rapid new ice formation
in the open water that takes its place, particularly in
winter.

Anabatic Flows Forced by Radiative Heating

Daytime solar heating of sloping terrain causes heat-
ing of the adjacent air by convection and radiation.
This tends to cause flow upslope, although these are
not as strong as the drainage flows because they
depend on lateral gradients and involve mixing with
the overlying fluid for their existence. Nonetheless,
they are an important part of the diurnal cycle in valley
flows influenced by radiative heating and cooling.
Theymay also be important in promotingwild (bush)-
fire propagation up hillsides.

See also

Antarctic Climate. Buoyancy and Buoyancy Waves:
Theory. Gust Fronts. Hydraulic Flow. Kelvin–Helm-
holtz Instability. Microbursts. Turbulence, Two
Dimensional. Vorticity.
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Deposition is the process in which mass is transferred
from the atmosphere to the Earth’s surface. Trans-
ferred mass can be in the gaseous, particulate, or
aqueous phase while in the atmosphere. Atmospheric

turbulence brings gas molecules close to surfaces,
whereas aerosol particles are transported both by
turbulence and gravitational settling. Deposition oc-
curs if the transported material is then removed from
the atmosphere when it contacts a water, soil, or
vegetated surface. The transfer of gases and particles
to the Earth’s surface is referred to as dry deposition. In
contrast, wet deposition involves the transfer of
atmospheric mass to these surfaces through the
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occurrence of precipitation. Thus, wet deposition
occurs only when precipitation delivers its chemical
constituents to the Earth’s surface, but dry deposition
occurs continuously, in all types of weather. Cloud
water deposition involves the interception of cloud
droplets at the surface, primarily by vegetation.
Depending on location, surface type, and meteoro-
logy, all three of these deposition pathways can be
significant contributors to the transfer of atmospheric
gases and aerosol to Earth’s surface. Deposition is
expressed as a flux density, with typical units of mass
per surface area over a given time period (e.g., kg-
SO4

2� ha�1 y�1).
Deposition processes result in a cleansing of the

atmosphere, but this removal of gases and particles
can result in significant chemical inputs to terrestrial
and aquatic ecosystems. The chemical inputs associ-
ated with wet deposition are typically referred to as
acidic deposition or acid rain. Dry deposition adds to
the sulfur, nitrogen, trace elements, and acidity that
are deposited by precipitation. Cloud water deposi-
tion, whether viewed as a form of dry deposition (with
a similar transport mechanisms) or as a form of acid
rain (to which it is similar in that gases and aerosol are
dissolved in hydrometers), represents a third pathway
for chemical deposition to Earth’s surface.

The chemical inputs that deposition provides to
terrestrial and aquatic ecosystems can have impacts on
the environment. The potential negative impacts
include changes in lake chemistry, fish mortality,
crop yields, forest health, leaching of soil cations,
weathering of buildings and statues, and corrosion of
surfaces. Any positive impacts of chemical deposition
are due to the potential for deposited nitrogen com-
pounds to fertilize nutrient poor ecosystems.

Natural and anthropogenic emissions, atmospheric
transport andmixing, and chemical reactions regulate

the atmospheric concentrations of the gases and
aerosol that can be subsequently deposited. Air
concentrations and deposition to the Earth’s surface
are related but are not directly proportional; precip-
itation scavenging, turbulent transfer, and gravita-
tional processes also govern wet, cloud, and dry
deposition fluxes. There is great variation in the
effectiveness of the many steps that convert air
concentrations to chemical deposition.

Aqueous phase solute concentrations in precipita-
tion reflect the air concentrations of the chemical
species of interest as well as precipitation formation
and scavenging processes within and below clouds.
These processes include nucleation of hygroscopic
aerosol to form cloud droplets, cloud droplet conden-
sational growth, mass transfer and solubility of gases
in the drop, below-cloud scavenging of gases and
aerosol, and evaporation of falling precipitation. The
effectiveness of scavenging processes differs for ice and
liquid-phase precipitation. The ratio ofwet deposition
to precipitation solute concentration is the precipita-
tion amount (m y�1 of rain). Wet chemical deposition
typically is larger at high elevations than in nearby
low-elevation areas with similar air concentrations
because there is more precipitation. Wet deposition
networks in many regions of the world are extensive
and, thus, may be representative enough to character-
ize wet chemical fluxes from the spatial interpolation
of localmeasurements. Figures 1 and 2 present the wet
deposition of SO4

2� and NO3
� in the United States for

the year 2000.
The relationship between air concentrations and

dry deposition rates is governed by atmospheric
boundary layer turbulence and the physical structure
of the receiving surface (see Land–Atmosphere Inter-
actions: Trace Gas Exchange). Dry deposition of
aerosol also depends on gravitational settling. Dry

≤ 3
3 - 6
6 - 9
9 - 12
12 - 15
15 - 18
18 - 21
21 - 24
24 - 27
> 27

(kg ha)
4
2

Sulfate as SO
_

Figure 1 Wet deposition of sulfate for the year 2000. (National Atmospheric Depotion Program/National Trends Network.)
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deposition measurements are performed at fewer loca-
tions thanwet depositionmeasurements andwith larger
uncertainties. Dry deposition has typically been deter-
mined for flat, uniform terrain. Dry deposition fluxes to
forests and tall crops are larger than to nearby soil or
water surfaces owing to increased aerodynamic rough-
ness. Any ‘edge effects’ on dry deposition fluxes at
transitions between different surface types are difficult
to quantify but may be important.

Cloud water deposition sometimes is referred to as
‘occult deposition’ because it can occur from a low-
altitude, nonprecipitating cloud (i.e., fog) while a
nearby rain gauge indicates that no precipitation has
occurred (it can be viewed as hidden, and thus
‘occult’). Substantial cloud water deposition occurs
almost exclusively to windy, hilly terrain where lifting
produces condensation, droplets, and frequent cloud-
iness (415% of hours) at the surface. Cloud water
deposition depends on turbulence and gravitational
settling to transport mass close to the surface. The
cloud droplets are intercepted or impact onto vegeta-
tion and, thus, are removed from the atmosphere
along with their chemical constituents. Cloud water
deposition occurs simultaneously with wet and dry
deposition when precipitating cloud occurs at ground
level. This occult deposition process has large uncer-
tainties as to its magnitude and spatial extent.

Globally, dry deposition is typically smaller in
magnitude than wet deposition except in arid regions.
In the easternUnited States,wet anddry deposition are
similar inmagnitude for the sulfur compounds that are
often considered to be environmentally important. In
some coastal andmountainous regions, themagnitude
of cloud water deposition can approach that for wet
deposition. In the future, it will be important to
improve the understanding of deposition to oceans,
heterogeneous landscapes, and complex terrain.

See also

Biogeochemical Cycles: Nitrogen Cycle; Sulfur Cycle.
Global Change: Biospheric Impacts and Feedbacks.
Land–Atmosphere Interactions: Overview; Trace Gas
Exchange.
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Figure 2 Wet deposition of nitrate for the year 2000. (National Atmospheric Depotion Program/National Trends Network.)
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Introduction

Approximately one-third of the Earth’s land surface is
desert, where rainfall is so scarce that the potential for
biological productivity is nearly zero. The inability to
produce food and the harsh climate make the desert a
hostile environment for human life. Unfortunately,
such unfavorable environments have been expanding
in recent times. As a result of anthropogenic distur-
bances, a vast area of previously productive land has
been severely degraded, and some places are being
converted into desert-like conditions. This process is
referred to as desertification. Both desert as a land type
and desertification as a human-induced process are
closely related to a region’s atmospheric conditions.
Natural deserts were formed by terrestrial surficial
processes and atmospheric processes interacting over
long periods of time. Desertification, more than just
reducing the land productivity, changes the surface
energy balance and hydrological cycle, and leads the
regional climate toward greater aridity. Interplaying
with atmospheric processes, desertification may cause
the formation of man-made desert within a relatively
short time. Our best understanding of the problem is
required in order to effectively prevent or remedy such
environmental deteriorations.

Desert

Deserts are extremely arid areas that generally receive
less than 1mmday�1 rainfall on an annual basis
(Figure 1) and have very high potential evaporation
rates. Because of this aridity, the potential for biolog-

ical productivity is extremely low, and very little
organic material exists in the soil. Only a sparse
vegetation cover, if any, can develop over desert.
Except for rivers that are fed bywater fromoutside the
desert, no stream can survive the rapid evaporation
and soil infiltration in deserts. Owing to the lack of
leaching by streamflows, the soluble minerals released
from the soil accumulate within the desert basin,
leading to highly saline soils as well as saline water in
both the groundwater reservoir and dry lakes.

About one-third of the Earth’s land surface can be
described as desert, with desert-covered lands even
located in the Dry Valleys of Antarctica. Nonpolar
deserts are found primarily in Africa, the Americas,
Asia, and Australia. The deserts of Africa include the
Sahara in North Africa, and the Kalahari and Namib
deserts in South Africa. The Atacama and Peruvian
deserts are found in thewestern part of SouthAmerica,
and the Great Basin, Mojave, Sonoran, and Chihua-
huan deserts exist in the western part of North
America. Asia has the largest number of deserts,
among which the major ones include the Arabian
desert, the Thar, Taklimakan, and Gobi. The Great
Sandy and Simpson deserts cover a considerable part
of Australia.

The global atmospheric circulation pattern is an
important factor influencing the formation of most
deserts. Themajority of the world’s deserts are located
in the vicinity of the tropics of Cancer (23:5� N) and
Capricorn (23:5� S), where strong subsidence of dry
air associated with the descending branch of the
Hadley circulation dissipates cloud cover and sup-
presses rainfall. The Sahara in Africa is an example of
this desert type. Another type of desert is formed
where water vapor in the air is precipitated out before
arrival, either because of the long distance fromoceans
or owing to special topographic configurations. Such
deserts (e.g., the Sonoran and the Taklimakan) typi-
cally exist in the middle latitudes. Deserts are also
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formed on the western coastline areas of the conti-
nents, where the local weather systems are strongly
affected by the cold ocean currents along the coast
such as the deserts at the western edges of South
America and South Africa.

Atmospheric Conditions over Deserts

Fromameteorological point of view, in addition to the
low precipitation rates (Figure 1) and high potential
evaporation rates, deserts have a higher surface albedo
than other snow-free or ice-free land types because of

the dry, bare, and bright soils. Compared to other land
types at the same latitude, the amount of incident solar
radiation reaching the desert surface is much higher
because of the low cloud fractions, but the amount of
solar radiation absorbed by the desert is often smaller
because of the higher surface albedo. Consequently,
deserts have a net annual radiative balance (absorbed
solar minus outgoing long-wave radiation (OLR)) at
the topof the atmosphere that is approximately zeroor
even negative, while other tropical and subtropical
land types have large positive values of net radiation
(Figure 2). The largest negative net annual radiation is
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observed over the Arabian and Sahara deserts as their
clear-sky albedo is the highest among all deserts. In
general, there is a net loss of energy from the autumn
through spring seasons and a net surplus of energy
during the spring through autumn seasons over
deserts.

Subtropical to low-latitude deserts experience hot
summers and cool winters. For example, in the Sahara
and Arabian and Australian deserts, the midwinter
monthly average temperature is around 10–20�C, but
the midsummer monthly temperature is in excess of
30�C.Midlatitude deserts have relatively hot summers
but cold winters. In Central Asia, the Gobi desert has
midwinter monthly temperatures lower than �10�C,
andmidsummer daily temperatures greater than 25�C
(Figure 3). For some desert areas in South America
(Patagonia),midwintermonthly temperatures average

lower than�20�C, in part because of its high elevation
and themidlatitude location. Regardless of the season,
surface temperatures of all deserts have extremely
large variations on the diurnal time scale. At the desert
surface, owing to extreme aridity, latent heat flux is
negligible (Table 1). During the daytime, solar radi-
ation quickly heats up the desert surface because of the
lack of latent heat cooling, causing high sensible heat
and ground heat fluxes; at night, when terrestrial
radiation dominates the surface energy budget, the
desert surface cools quickly because the dry and
cloudless atmosphere cannot effectively trap the
outgoing terrestrial radiation and reemit back to the
land surface. As a result, temperature during the day is
much higher than at night, and such temperature
differences can easily exceed 20�C on a normal day.
The greatest diurnal fluctuations occur in deserts near
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the Equator. For example, the temperature range
within one day can be larger than 50�C in the Sahara
desert.

Deserts around 20–30� latitude in both hemispheres
are under the influence of strong subsidence associated
with the descending branch of the Hadley circulation.
In the midtroposphere (500 hPa) sinking air can be
found over most of the desert regions. During midday
hours, especially in the summer, intense vertical
turbulent mixing can be found throughout most of
the lower troposphere. Consequently, the planetary
boundary layer (PBL) can extend up to pressure levels
of 600 hPa. There is no rain associated with this
vertical mixing in the PBL over deserts owing to the
lack of moisture in the atmosphere. The intense
turbulence during the daytime is driven by the high
sensible heat flux at the surface, which balances the net
radiation absorbed by the desert (Table 1).

Desertification

Desertification refers to land degradation in arid,
semi-arid, and dry semi-humid areas resulting from
various human impacts. It reduces the land’s potential
for biological productivity, and causes conversion of
productive lands used for pasture and agriculture into
desert-like conditions. Desertification can be meas-
ured by the loss of ecosystem productivity it causes,
and ranges from slight to severe. For example,
moderate desertification causes a 10–25% drop in
agricultural productivity, while severe desertification
can result in a productivity loss of 50% or more.

Desertification is not directly related to desert. In
most cases, the desert is not expanding continuously
on the human time scale, although its boundary may
advance and retreat in response to interannual climate
variability. The desert has been unjustly thought of by
some as the cause of desertification because semi-arid
areas surround desert. Arid and semi-arid areas (or
‘dry lands’) generally receive an annual rainfall less
than 600mm, with high interannual variability. This
small amount of rainfall is concentratedwithin a short

period known as the wet season, ranging from several
weeks in arid areas to several months in semi-arid
areas; dry conditions similar to desert climate persist
during the rest of the year. Owing to the low level of
rainfall and the shortness of a favorable growing
season, the ecosystemof dry lands feature lowbiomass
and poor resilience; the carrying capacity of the land,
which is the number of people and animals the land
can normally support, is very small. These factors
make dry lands subject to anthropogenic desertifica-
tion. Desertification occurs when the anthropogenic-
ally induced degradation exceeds the ecosystem’s
restorative capacity.

The major causes of desertification include over-
grazing, overcultivation of marginal land, unsustain-
able ‘slash-and-burn’ agricultural practice, logging for
fuelwood, and poor irrigation techniques. The dom-
inant cause varies on the land type. For pasture lands,
livestock overgrazing is the main cause of desertifica-
tion; removal of vegetation directly by humans for
agriculture and other purposes has caused most of the
desertification in rain-fed lands; incorrect irrigation
practice is responsible for the degradation of most
irrigated lands. There are several different processes
associated with the desertification phenomenon: deg-
radation of vegetation cover; soil erosion; soil com-
paction; andwaterlogging and salinization in irrigated
lands. One process or a combination of several
processes may be involved in the desertification.

With the exception of irrigation-induced land deg-
radation, desertification usually starts with the
removal of vegetation cover by humans or livestock.
Overgrazing and excessive fuelwood collection de-
stroy the protective layer of plants, exposing the top
layer soil to wind andwater erosion. As the vegetation
cover decreases, soil compaction occurs as a result of
the livestock trampling and rain drop tapping, which
increases the proportion of fine materials in the top
soil, thus accelerating soil erosion. Gradually, the top
soil loses its fertility. In addition, compacted soil
allows less water to infiltrate, limiting the water
resources for plant uptake. The reduced fertility and
the increasedwater stress cause the land’s productivity
to drop, which then further degrades the vegetation
cover.

In the case of overcultivationofmarginal lands, land
is cleared of natural vegetation for agriculture, but is
then abandoned after crop failure. Without the pro-
tection of plants, the loose well-plowed soil easily
develops into sand dunes under the strong wind
impact. Another destructive agricultural practice is
the ‘slashing and burning’ of natural perennial vege-
tation, including trees and shrubs, to clear land for
annual agriculture. As annual agriculture expands, the
land loses the protection of vegetation, especially

Table 1 An example of surface energy budget over the deserta

Net short-wave radiation 600

Net long-wave radiation �300

Sensible heat flux �200

Latent heat flux Near zero

Ground heat flux �100

aAverage heat fluxes inWm�2 at 1300 Local Solar Time observed

over the Empty Quarter of Saudi Arabia (from Figure 11-16 in

Pielke (1984)).Apositive value representsagain to the surfaceand

a negative value is a loss from the surface to the atmosphere or to

the soil depth.
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during the dry season, and suffers from severe wind
erosion. Consequently, biological productivity of the
land drops and sand dunes start to form.

Salinization and waterlogging lead to the destruc-
tion of vegetation cover in irrigated lands. The salinity
is high in both the soil and the stored water in dry
lands, and excessive evaporation and transpiration
(collectively referred to as ‘evapotranspiration’) tend
to accumulate soluble minerals in the upper soil. As a
result, salts in the irrigation water are deposited in the
root zone. Such soil salinization increases the osmotic
pressure of the root medium, leading to a reduction of
the vegetation’s ability to tolerate water stress. Water-
logging occurs when water table rises to the root zone
as a result of overirrigation – repeated incorrect
irrigation causes the formation of a shallow imperme-
able layer that prevents water from infiltrating down.
Under this condition, irrigation water fills all the soil
pores in the root zone and obstructs the gas exchange
between soil and air. This causes the buildup of
chemicals harmful to plant growth. Severe salinization
and waterlogging may lead to complete crop failure.

In the past several decades, desertification has
become a devastating problem of global concern. At
least 25% of the world’s land area is affected by
desertification to some degree. It is especially a
problem in Africa, Asia, and South America. Desert-
ification also affects North America, the Middle East,
Australia, and some European countries in the Med-
iterranean area. In terms of severity, the Sudano-
Sahelian region in Africa is the most affected region of
theworld.More than 70%of the Sudano-Sahelian dry
lands are degraded; of the world’s population that are
moderately to severely affected by desertification,
more than 80% reside in this region. In terms of the
affected land area, Asia suffers the most, with more
than 1.3 billion hectares of dry lands degraded.
Globally, the immediate consequence of desertificat-
ion is the reduction of agricultural productivity and
the resulting threat of famine, which has serious social
and economic impact.

Climatic Impact of Desertification

Desertification is a detrimental phenomenon not only
because of the resulting loss of land productivity but
also because of its significant impact on regional
climate. Among the geophysical changes accompany-
ing desertification, three are considered to directly
affect the water and energy balance at the land surface
and in the overlying atmosphere: increase of the
surface albedo, decrease of soil moisture, and decrease
of the surface roughness. These changes are closely
related to each other. For example, with soils of the

same texture, albedo increases as vegetation cover
degrades and soil gets drier; degraded vegetation is
often shorter, which reduces surface roughness.

One of the most direct impacts of desertification on
the hydrological cycle is the decrease of evaporation
and transpiration. Owing to the removal of vegetation
cover, plant transpiration drops; and the reduced
surface roughness causes a reduction in turbulent
transport, which also limits the rate of evapotranspi-
ration. Following desertification, evapotranspiration
(therefore the surface latent heat flux) significantly
decreases and the surface Bowen ratio (i.e., the ratio of
sensible heat flux to latent heat flux) increases.

Precipitation, one of the most important climate
indicators of dry lands, decreases following desertifi-
cation. The increase of albedo due to desertification
reduces the amount of net radiation absorbed by the
land surface (and therefore the amount of total heat
flux from the surface to the overlying atmosphere).
This causes a radiative cooling of the atmosphere and
induces an additional sinking motion to maintain the
atmospheric thermal equilibrium, thus suppressing
precipitation. In addition, the increase of Bowen ratio
reduces the atmospheric humidity, which limits the
moisture source of precipitation.

The impact of desertification on surface tempera-
ture involves several competing factors, of which the
most important are the increase of surface albedo and
the decrease of evapotranspiration. On one hand, the
decrease of surface net radiation caused by the higher
albedo tends to cool the land surface; on the other
hand, the decrease of latent heat cooling induces a
warming impact on the land surface. During the dry
season in arid and semi-arid areas, evaporation and
transpiration are minimal in any case, so their reduc-
tion is very small. As a result, the albedo effect of
desertification is dominant, which cools the land
surface. However, during the wet season, latent heat
becomes an important component of the surface
energy budget, so much so that the effect of an
evapotranspiration reduction outcompetes the albedo
effect and warms up the land surface. Consequently,
the response of surface temperature to desertification
is highly seasonal and is closely related to the hydro-
logical cycle.

Desertification can also modify the regional and
global climate by changing the atmospheric composi-
tion. This takes place mainly as a result of the
increased dust production from the denuded dry soil
and in some regions from biomass burning. Desertifi-
cation exposes the dry, bare soil to strong wind
erosion, which significantly increases the atmospheric
dust loading in both the desertification zone and the
regions downwind. These mineral dusts influence the
atmospheric radiative transfer directly by scattering
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and absorbing solar radiation, and indirectly by
modifying the optical property and lifetime of clouds.
During ‘slash-and-burn’ agricultural practice, bio-
mass burning releases significant amount of ‘green-
house’ gases (e.g., carbon dioxide, methane, nitrous
oxide) into the atmosphere, and also causes the atmos-
pheric buildup of reactive trace gases (e.g., carbon
monoxide and nitric oxide) that play important roles
in controlling atmospheric chemistry. Another climat-
ically important product of biomass burning is black
carbon, a carbonaceous aerosol that is a strong
absorber of solar radiation. However, owing to the
complexity of the processes involved, the overall
impact of the atmospheric composition changes due
to desertification is not completely understood.

Enhancement of Desertification due to
Biosphere–Atmosphere Interactions

Water plays a determining role in the ecosystem of dry
lands where most desertification occurs. The desert-
ification-induced aridity, reflected by a decrease in
both rainfall and specific humidity, may suppress
vegetation growth and further degrade the already
disturbed vegetation cover. Thus, enhancement of
anthropogenic desertification may result from the
biosphere–atmosphere interactions. Whether such a
positive feedback does take place depends on the
regional atmospheric conditions, themagnitude of the
initial desertification, and the ecological property of
the natural vegetation.

The sensitivity of regional climates to desertification
varies significantly from place to place. In regions
where precipitation is controlled by large-scale circu-

lation and thus shows little discernible response to
land cover changes, the feedback between the bio-
sphere and the atmosphere may never become posi-
tive, regardless of themagnitude of desertification.On
one hand, desertification reduces rainfall (e.g., fromP0

to P1 ¼ aP0 in Figure 4, where ao1); on the other
hand, owing to the vegetation degradation, water
consumption by the plant community also decreases
(e.g., from D0 to D1 ¼ bD0 in Figure 4, where bo1).
With low sensitivity of climate to land cover changes
(i.e., a in Figure 4 close to 1.0), the water availability
after desertification, although reduced, may always
exceed the reduced plant water demand (i.e.,
P1 > D1). Therefore, the degraded vegetation will
tend to grow back, and the biosphere–atmosphere
feedback works to moderate, instead of reinforcing,
the anthropogenic desertification.

In regionswhere the atmospheric condition is highly
sensitive to land cover changes, however, large-scale
desertification is very likely to trigger a positive
biosphere–atmosphere feedback and become self-per-
petuating. In such regions, when the magnitude of
man-made desertification reaches a certain level, the
resultant changes in regional climate (rainfall reduction
in particular) become so dramatic that they start to
cause the deterioration of the biota in both the desert-
ification zone and its neighboring areas; this drought-
induced vegetation degradation will then reinforce the
initial man-made desertification in changing the region-
al climate, leading to a self-degradation of the land
surface as well as a persistent drought (Figure 5).
Through this mechanism, a new desert may form
following intensive anthropogenic desertification.

The growth form of the natural vegetation is of the
utmost importance in forming the mechanism illus-

Man-made

degradation

(P1 > D1)

(P1 < D1)

P0

D0

P1 = �P0

D1 = �D0

Figure 4 Negative and positive biosphere–atmosphere feedbacks associated with desertification. P0 and P1 represent the water

availability provided by precipitation before and after man-made land cover changes; D0 and D1 represent the water demand for

maintenance of the vegetation before and after man-made land cover changes; a and b are fractions between 0 and 1. When P1 > D1,

vegetation tends to recover; when P1oD1, land cover develops toward greater degradation.
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trated by Figure 5. For the biospheric feedback to
enhance the initial desertification and cause a persist-
ent drought, vegetation must be able to carry the
environmental stress from one year to the next. This is
obvious for all woody plants such as trees and shrubs,
since their permanent above-ground structures result
from multiple-year carbon accumulation. For herba-
ceous plants that dominate the biota of dry lands, two
groups of different growth form exist: perennial
grasses have perennating root structures, although
their aerial parts do not survive from one annual cycle
to another; annual grasses lack any perennating
vegetative structure, of which only the seed bank
persists during the dry season. In the beginning of the
growing season, perennials sprout from their under-
ground root structures,while annuals start from seeds.
The change of the live biomass in the roots of perennial
plants depends on both the net primary productivity
and the root turnover rate. Under the condition of
severe water stress, the low productivity cannot
provide sufficient carbon to compensate the root
turnover, which causes the root amount to decrease.
Therefore, the perennial grass will have less resource
to start with in the subsequent growing season, thus
carrying information about environmental stress from
one year to the next. The natural enhancement of
desertification through the biosphere–atmosphere in-
teractions can only take effect in regions where the
dominant natural vegetation is perennial, whether
herbaceous or woody. It is worth mentioning that this
condition is often satisfied as observations show that
perennial grass and shrubs are the dominant plant
species for most dry lands in the tropics.

Desertification and the Sahel Drought:
A Case Analysis

Because of biosphere–atmosphere interactions, desert-
ification may enhance an existing climate trend toward
desiccation, and itmay also initiate a change of regional
climate toward greater aridity. Therefore, desertificat-
ionanddrought are often closely related to eachother.A
good example occurs in the Sahel ofWest Africa, which
is the arid and semi-arid region south of the Sahara
desert and spans approximately from 12� N to 18� N.

In most parts of the Sahel, natural vegetation is
dominated by savanna, which features a continuous
grass stratum with shrubs, trees, or palms present.
During the past several decades, increasing human
population in this region has led to the overexploita-
tion of land resources. The ‘slash-and-burn’ agricul-
tural practice became one of the most important
causes of desertification, leading to impoverished soil
and sand dunes in many places of the Sahel. For
example, Khuwei village in the Sahelian region of
western Sudan was once well protected by trees, but
today sand dunes rise against some of the structures to
roof level. Instead of being blown in from the Sahara
desert, these dunes have actually formed locally from
eroded soil after treeswere cut down.Overgrazing and
overcultivation are also widespread in the Sahel. As a
result, theWestAfrican Sahel became the region on the
Earth most severely affected by desertification. Given
the high sensitivity of theWest African climate to land
cover changes as documented by numerous modeling
studies, the intense and extensive desertification in the
past several decades should leave a fingerprint in the

Man-made desertification 

Rainfall
reduction

Further
rainfall

reduction

Grassland  Desert

Persistent
drought

Figure 5 Schematic mechanism for the enhancement of desertification through biosphere–atmosphere interactions.
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regional climate. Specifically, rainfall was expected to
decrease, and in fact it did.

After a period of rainfall abundance in the 1950s
and early 1960s, a severe decades-long drought
commenced around 1968. Averaged over the whole
Sahel, the mean rainfall in the last three decades of the
twentieth century is 40–50% less than in the favorable
1950s. During this drought, water of Lake Chad,
located in the middle of Sahel, reached its lowest level
on record; some areas near the desert border even
experienced a complete loss of rainfall. Proxy data
show that West Africa experienced several major
droughts in recent history, but none of those was
comparable in severity with the one in the late
twentieth century. The drought-induced famine
claimed about 100 000 lives in the early 1970s, and
many people have been displaced in order to survive.

Such a severe drought as observed in West Africa
unavoidably causes a certain degree of land degrada-
tion, which then mingles together with the concurrent
anthropogenic desertification. It is almost impossible to
distinguish these two types of land degradation without
detailed observation of vegetation conditions.Owing to
the lackof suchobservationaldatabefore and right after
the drought onset, there has been no consensus among
scientists whether human activity was the original
trigger of the twentieth century Sahel drought. Howev-
er, it is generally believed that desertification at least
enhanced this desiccation trend through biosphere–
atmosphere interactions. Using the most up-to-date
technique in modeling biosphere–atmosphere interac-
tions and considering realistic human impacts, recent
studies have shown that it is conceivable for the
anthropogenic desertification in West Africa to cause a
persistent drought similar to what has been observed in
Sahel. In addition, it was also shown that the interplay
between the drought and desertification may cause the
northern part of Sahel to become desert, which appears
as a southward expansion of the Sahara.

See also

Climate: Overview. Drought. Global Change: Surface
Temperature Trends. Hydrology: Soil Moisture. Ozone:
Surface Ozone Effects on Vegetation. Palmer Drought
Index.
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Introduction

Near the Earth’s surface, many variables have a
characteristic diurnal or daily cycle, driven by the
diurnal cycle of the incoming solar radiation, which
is zero at night and peaks at local noon. The
atmosphere is relatively transparent to the short-

wave radiation from the Sun and relatively opaque
to the thermal radiation from the Earth. As a result
the surface is warmed by a positive net radiation
balance in the daytime, and cooled by a negative
radiation balance at night. The surface temperature
oscillates almost sinusoidally between a minimum at
sunrise and a maximum in the afternoon. This is
referred to as the diurnal cycle of temperature. In
warm seasons, the daily net radiation balance
is positive, and the daily mean temperature is
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determined by the daily mean surface energy balance,
which involves not only the short- and long-wave
radiation components, but also heat transfers to the
atmosphere.

Themagnitude of this diurnal range of temperature is
determined bymany factors, whichwewill discuss. The
most important are the nature of the underlying surface,
whether land or water, and the coupling to the atmos-
phere above. The phase change of water, particularly
evaporation and condensation, plays an important role
inmoderating the diurnal rangeof temperature, because
of the large latent heat of vaporization. (In cold climates
the freezing and thawing of the soil is also important on
the seasonal time scale.)

Over the ocean (and large lakes), the diurnal
temperature range is small, because the incoming
solar energy is mixed downward into an ocean ‘mixed
layer’, which is usually tens ofmeters deep. One day of
solar heating will warm a layer of water 50m deep by
less than 0.1K, because of its large thermal capacity.
Only in light winds, when the downward mixing is
small, does the diurnal range of sea surface tempera-
ture reach 1K. On time scales longer than the diurnal,
evaporation of water primarily balances the surface
net radiation budget.

Over land, only a small fraction (o20%) of the net
radiation at the surface is conducted downward in
daytime, or stored by warming trees on the surface for
example. As a result, the surface temperature rises
rapidly after sunrise, until near balance is achieved
between the net radiation and the direct transport of
heat to the atmosphere (referred to as the sensible heat
flux) and evaporation of water (or transpiration from
plants), referred to as the latent heat flux. If the surface
is a desert then the daytime temperature rise is large,
but if water is readily available for transpiration then
the daytime rise of temperature is greatly reduced,
because most of the net radiation goes into the latent
heat of vaporization. The surface sensible and latent
heat fluxes have a large diurnal cycle, with a peak near
local noon, as they are driven primarily by the
incoming solar radiation. The surface temperature
peaks a little later in the afternoon, when the surface
sensible heat flux goes negative as the surface cools.

Dependence of Diurnal Cycle on
Evaporation

Figure 1 illustrates this diurnal variation using data
from sunny days in midsummer during a 1987 field
experiment (with the acronym FIFE) conducted over
grassland near Manhattan, Kansas. Panels on the left
show net radiation, Rn (A), sensible heat flux, H (B),
and latent heat flux, LE (C). The surface energy

balance can be written as

Rn ¼ H þ LEþG ½1�

where G is the storage in the ground and vegetation,
which we do not show. In addition a small amount of
energy goes into photosynthesis, which again we do
not show. The time access is local solar time, which is
UTC� 6 hours. The data have been grouped and
averaged based on the percentage of soil moisture
(SM) in the first 10 cm of soil, so that there are three
curves (each an average of about 10 days), represent-
ing dry, medium, andwet soils. PanelA shows that the
mean net radiation on these sunny days is very similar.
However, because soil moisture is a major control on
evaporation, the partition of the net radiation into
sensible and latent heat is very different.When the soil
is wet, the latent heat flux (or ‘evaporative energy’
flux) is about three times the sensible heat flux,
whereas when the soil is dry these two fluxes are
nearly equal. Panels on the right side show the
response to the different surface forcing. Panel D
shows the surface temperature (measured by an
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infrared radiation thermometer, mounted on a tower
and pointed downward at the grass). Although Rn is
the same, on days when the soil is dry and water is not
readily available for evaporation, the surface gets very
hot, as warm as 441C near noon. This warm surface
temperature drives the large sensible heat flux H and
heats the air above the surface. The diurnal range of
the surface temperature is more than 201C on these
days, while for the air at 2m above the surface in panel
E, the diurnal range is only 121C. As soil moisture
increases, the daily maximum surface and air temper-
ature decrease. PanelsD and E are similar, except that
the amplitude of the surface temperature is larger than
that of the air temperature. Both are related to the
sensible heat fluxH. Note that the air temperature has a
broad afternoon maximum, because H is upward as
long as the surface is warmer than the air. The surface
temperature falls below the air temperature only in late
afternoon,H then changes sign, and at night the surface
is cooler than the air. Panel F shows the diurnal cycle of
relative humidity (RH) as a percent. Over the wetter
soils, the RH of the air at 2m reaches 85% before
sunrise, and falls in the daytime as the surface and air
warms. The fall of RH is smallest on the days with the
greatest evaporation, LE. When evaporation is reduced
because the soil is dry, daytime RH falls as low as 30%,
and even at night only reaches 72% at sunrise.

Coupling Between the Surface Diurnal
Cycle and the Atmospheric Mixed
Layer

As the land surface is heated during the daytime, a dry
convective boundary layer grows in depth. This is
called the mixed layer, because the turbulent dry
convection rapidly stirs the layer to near-neutral
buoyancy andnear-constantwater vapormixing ratio.
Thediurnal cycle of the surface and themixed layer are
tightly coupled. As a result the preexisting atmospher-
ic structure above the surface at sunrise has a consid-
erable impact on the daytime diurnal cycle, as
illustrated in the following figures using surface and
sounding data collected over the boreal forest in
Saskatchewan during the Boreal Ecosystem–Atmos-
phere Study (BOREAS) in 1994. Figure 2 shows the
surface diurnal cycle for two days in spring. The upper
panel shows for each day the temperature at two
levels, an upper level TU which is at 21m, about 5m
above the canopy of a jack pine forest, and a lower
level about 5mabove the forest floor.Onboth days the
surface cools strongly at night and rises steeply after
sunrise with a greater diurnal range than in Figure 1.
The diurnal range under the canopy is larger than
above it. At night on 26May the winds are lighter, and

the atmosphere above is more stable (see Figure 3).
The air under the canopy becomes effectively de-
coupled from the atmosphere above and the stable
temperature gradient across the canopy at night reaches
7K. There is very little evaporation from either the
forest or the cold lakes at this time in spring. The lower
panel showsRHmeasurements above the canopy. In the
late afternoon, RH falls as low as 20% on 31 May.
Before sunrise on this day,RHabove the canopy reaches
90% as TU falls to a minimum of 41C. RH was not
measured below the canopy, but the temperatures there
are cold enough to saturate the air in the hours before
sunrise. The dew point is often used to estimate
minimum nighttime temperatures at the surface.

The right-hand scale of Figure 2A shows the corre-
sponding dry potential temperature, which is defined as

y ¼ ðT þ 273:15Þ 1000

p
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where p is the surface pressure (here about 950 hPa,
since the observation site is about 500m above sea
level). The potential temperature, y, is useful as a
variable because it allows us to compare surface and
atmosphere above. During the daytime the boundary
layer above the surface is mixed to almost constant
potential temperature (see Figure 3). The strong
radiative cooling of the surface at night generates a
stable layer close to the ground, typically only a few
hundredmeters deep. About 3 to 4 hours after sunrise,
the surface has warmed enough to remove this stable
surface layer and reconnect to a deeper layer. When
this happens, the rate of rise of temperature and fall of
RH decrease sharply. In Figure 2, this occurs on 26
May at a local time of 8.8 h, when y reaches 296K;

while on 31 May it occurs at 7.8 h, when y ¼ 289K,
and on this day the change is smaller.

Figure 3 shows sequences of seven profiles of
potential temperature in the lower troposphere, meas-
ured by rawinsonde ascents, nominally every 2 hours
from sunrise to late afternoonon the twodays.Figure 3A
shows at sunrise (04.17 LST, solid) a cold (stable)
surface layer only about 25 hPa deep (200m), with a
deep layer above of constant y, which is the residual or
‘fossil’ mixed layer from the previous day. At the
surface the temperature warms rapidly, as the surface
sensible heat flux is trapped in this shallow surface layer.
The profile at 08.24LST shows a mixed layer with y ¼
294:5K to 890hPa. Shortly afterwards, when the
surface potential temperature reaches y ¼ 296K, the
new growing boundary layer merges with the deep
residual mixed layer. From then on, the surface and
mixed layerwarmmuchmore slowly, as seen inFigure 2.
Even though H exceeds 300Wm�2 at all the forest
sites for several hours around local noon (not shown),
this large heat flux is distributed through a deep layer.

Figure 3B shows the time sequence on 31May.Note
that at sunrise (solid), the profile is quite different from
that on 26 May. Instead of a deep layer of constant y,
produced by dry convection the previous day (a so-
called dry adiabatic structure), there is a layer from
920 to 650 hPa in which y increases steadily with
height. In fact this layer was produced by showers the
previous evening (and it has a so-called wet adiabatic
structure). The change in slope of the early morning
profile at 920 hPa is at y ¼ 289K, and hence we see on
Figure 2 a change in the rate of warming, once the
surface reaches this potential temperature. This
change of slope is more dramatic on 26 May because
the change in the vertical profile is also greater. On 31
May, the mixed layer grows steadily all day until it is
300 hPa deep (about 3000m) in the late afternoon.On
both these days, there is some broken cumulus cover in
the afternoon at the top of the mixed layer. The rapid
warming on 31 May between 500 and 600 hPa is
related to the lowering and change in structure of a
powerful jet stream above, not by surface processes.

Diurnal Cycle of CO2

The diurnal cycle of the solar radiation drives a diurnal
cycle in CO2 through photosynthesis and respiration
in plants. Figure 4 shows themean diurnal cycle over a
young jack pine canopy (about 5–6m tall) near
Thompson, Manitoba, from the 1996 BOREAS
experiment for the three months June, August, and
October. During the summer months, CO2 decreases
during the daylight hours as it is taken up in photo-
synthesis, and increases at night as it is released by
respiration from both plants and soil. The amplitude
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of the diurnal cycle increases from June to August, but
the monthly mean decreases as there is a net CO2

uptake by the entire Northern Hemisphere. By Octo-
ber of this year, however, the diurnal cycle is very small,
because temperatures have dropped so low that both
photosynthesis and respiration have almost ceased.

See also

Air–Sea Interaction: Momentum, Heat and Vapor Flux-
es; Sea Surface Temperature. Boundary Layers: Ocean
Mixed Layer; Overview; Surface Layer. Carbon Dioxide.
Climate: Overview. Climate Variability: Seasonal to
Interannual Variability. Energy Balance Model, Sur-
face. Hydrology: Ground and Surface Water; Soil Mois-
ture. Land–Sea Breeze.
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Introduction

Very strong surfacewinds sometimes developwhen air
flows over a highmountain ridgewith a steep lee slope.
Such winds are known to occur at many locations
throughout themiddle latitudes. Local names for these
winds include the Alpine foehn, the Rocky Mountain
chinook, the Croatian bora, the Santa Ana in southern
California, and the Argentine zonda. These winds are
collectively referred to as downslope winds. Down-
slope winds in the lee of major mountain barriers can
approach hurricane strength. (By definition, hurri-
canes are storms with sustained winds of at least
32m s� 1 (115 kmh� 1).) Every few years, for exam-
ple, the eastern slope of the Colorado Front Range
(part of the Rocky Mountains) experiences a damag-
ing windstorm with peak gusts as high as 60m s�1

(216 kmh� 1). An anemometer trace recorded at the
National Center forAtmosphericResearch in Boulder,
CO, during a strong chinook is shown in Figure 1.
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In modern meteorological usage, downslope winds
are distinguished from katabaticwinds by the dynam-
ical processes driving each flow. Katabatic winds
usually refer to shallow gravity currents generated by
the cooling of surface air over sloping terrain. Down-
slope winds usually refer to winds generated as a
deeper layer of air is forced over topography. In
contrast to katabatic winds, the diabatic cooling of air
in contact with a cold surface plays no essential role in
the dynamics of downslope winds.

In most downslope wind events (including the
typical foehn and chinook), the onset of the downslope
wind is accompanied by an increase in the surface
temperature and a drop in the dew point. Whereas the
area of violent wind is limited to a relatively narrow
swath along and adjacent to the lee slope, the warmer
drier air mass can extend much further downstream.
Nevertheless, in some cases the upstream conditions
may be so cold, and the initial downstream conditions
sufficiently warm, that the onset of a downslope wind
brings a drop in temperature. The most well-known
example of this type of cold downslope wind is the
Croatian bora. Despite the difference in the evolution
of the surface temperature, there does not appear to be
any significant dynamical distinction between the
processes responsible for the development of high
downslope winds in cold and warm events.

Contours of the potential temperature observed on
11 January 1972 during an intense downslope wind-
storm are plotted in the vertical cross-section through
Boulder, CO, shown in Figure 2. These contours
provide a rough indication of the streamlines in the

flow, which is moving from left to right. (The isen-
tropes would be exactly identical to streamlines if the
flow were steady, inviscid, adiabatic, and two dimen-
sional.) A large-amplitude mountain wave is clearly
visible in the potential temperature field just to the lee
of the continental divide. The apparent horizontal
displacement of the wave trough at upper levels from
its position at low levels is due to a 2 h difference
between the times at which observations were collect-
ed in the upper and lower flight levels. Also apparent in
Figure 2 is a layer of enhanced static stability around
the 550mb level in the upstream flow. When intense
downslope winds develop in a deep cross-mountain
flow, strong mountain waves and low-level stable
layers similar to those shown in Figure 2 are usually
present.

The connection between mountain waves and
strong downslope winds is less apparent in situations
where the cross-mountain wind component reverses
with height at some level in the middle or lower
troposphere, as is often the case in theCroatian bora or
when strong winds blow from the east down the
western slopes of the Wasatch mountains in Utah.
Contours of the potential temperature observed dur-
ing a moderate bora along a cross-section through
Senj, Croatia, are shown in Figure 3. The flow in this
example is from right to left. A low-level inversion is
once again apparent upstream of the mountains;
however, no significant wave activity is present above
the 3 km level. In this case, the upstream inversion is
coincident with a region of strong vertical wind shear
inwhich the cross-mountainwind component reverses
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direction. The level at which the cross-mountain wind
component drops to zero is a critical level for steady
two-dimensional mountain waves, and any gravity
waves triggered by the mountain break down
and dissipate as they approach this critical level. (A
critical level is a level at which the phase speed of a
wave equals the speed and direction of the basic
state flow.)

The Hydraulic Analogue

The dynamics governing the development of strong
downslope winds in the atmosphere are analogous to
those governing the rapid increase in speed that occurs
when water flowing over a rock in a river undergoes a
transition from a relatively slow velocity upstream to a
thin layer of high-velocity fluid over the downstream
face. In such circumstances, a turbulent hydraulic
jump often develops downstream of the rock at the
point where the high-speed flow decelerates back to
the ambient velocity of the river. Since the fundamen-
tal processes responsible for the rapid acceleration of
water flowing over a rock can be explained more
simply than those which govern downslope winds in
the atmosphere, let us begin by considering the
hydraulic model for a shallow layer of water flowing
over an obstacle in an open channel.

Suppose a homogeneous fluid, such as freshwater, is
flowingover a ridge-like obstacle. Assuming the flow is
steady and that there are no variations in the coordi-
nate direction parallel to the ridge axis, and making
the hydrostatic approximation, the flow is governed

by the horizontal momentum equation

u
qu
qx

þ g
qD
qx

¼ �g
qh
qx

½1�

and the mass continuity equation

quD
qx

¼ 0 ½2�

where x is the horizontal coordinate directed perpen-
dicular to the ridgeline, u is the velocity in the x
direction, D is the thickness of the fluid, and h is the
local height of the obstacle. Using eqn [2] to substitute
for qu=qx into eqn [1] yields

1� F�2
� � q

qx
Dþ hð Þ ¼ qh

qx
½3�

Here

F ¼ uffiffiffiffiffiffiffi
gD

p ½4�

is the Froude number, which is the ratio of the local
flow speed to the local phase speed of a linear shallow
water gravity wave.

According to eqn [3], the magnitude of the Froude
number determines whether the free surface rises or
falls as the fluid ascends the upstream slope of the
obstacle. The case F > 1, known as supercritical flow,
is shown in Figure 4A; the fluid thickens and slows as it
passes over the top of the obstacle, and it reaches its
minimum speed at the crest. The accelerations expe-
rienced by the fluid are qualitatively similar to those
experienced by a hockey puck traversing a frictionless
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ridge of ice. The case Fo1, known as subcritical flow,
is shown in Figure 4B. The fluid parcel accelerations in
the subcritical flow seem counterintuitive in that the
fluid thins and accelerates as it crosses the top of the
obstacle, reaching its maximum speed at the crest.

Why does a subcritical flow accelerate as it encoun-
ters rising bottom topography? In contrast to a
frictionless hockey puck, the acceleration of a fluid
parcel is determined not only by gravity and by the
angle of the slope but also by pressure gradient forces.
The steady-state momentum equation [1] requires a
three-way balance between acceleration (the first
term), pressure gradient forces arising from changes
in the fluid depth (the second term), and the work per
unit mass done against gravity while ascending the
sloping topography (the third term). The value of the
Froude number determines whether the work done
against gravity is predominantly balanced by acceler-
ations or by the pressure gradient force. From eqn [2]

u
qu
qx

� �
g
qD
qx

� �
¼ u

qu
qx

� �
� gD

u

qu
qx

� �
¼ �F2

��
½5�

Thus in steady open-channel hydraulic flow, acceler-
ation always opposes the pressure gradient force due
to changes in fluid depth. Furthermore, F2 may be
interpreted as the ratio of the magnitude of the
acceleration to the magnitude of the pressure gradient
force generated by changes in the fluid depth. In
supercritical flow (F >1Þ acceleration dominates the
pressure gradient force and the three-way balance in
eqn [1] is satisfied such that fluid parcels ascending the
upstream slope decelerate as they do work against
gravity.

Before discussing the subcritical case, it is helpful to
recast the discussion in terms of the conversions
between kinetic energy (KE) andpotential energy (PE).
Equation [1] implies that u2=2þ gðDþ hÞ is constant
along a streamline. This is just Bernoulli’s theorem for
steady incompressible hydrostatic flow since the con-
tribution of w2=2 to the total KE is neglected in the
hydrostatic approximation. The term gðDþ hÞ repre-
sents the combined PEs associated with the gravita-
tional and pressure fields, as may be verified by taking
the hydrostatic pressure to be zero at the top of the
water and choosing the z ¼ 0 level to coincidewith the
bottom of the channel away from the obstacle; then at
an arbitrary level z,

gzþ p

r0
¼ gzþ g Dþ h� zð Þ ¼ g Dþ hð Þ ½6�

According to this generalized interpretation of PE,
fluid parcels ascending the obstacle in a supercritical
flow slow down as they convert KE to PE, and after
passing the crest they reaccelerate as PE is converted
back to KE (Figure 4A).

On the other hand, in subcritical flow ðFo1Þ the
pressure gradient force dominates acceleration and the
three-way balance in eqn [1] requires that fluid parcels
accelerate in the direction opposite to the component
of gravity parallel to the topography. As shown in
Figure 4B, fluid parcels ascending the obstacle accel-
erate as the free surface drops and PE is converted to
KE. After passing the crest, the parcels decelerate as
KE is converted back to PE. The disturbance centered
over the obstacle in Figure 4B is a steady surface
gravity wave.

The flow regime that serves as an analogue for
downslope windstorms is shown in Figure 4C. If the
flow is subcritical upstream and if a column of fluid
undergoes a sufficient acceleration and experiences a
sufficient decrease in thickness as it ascends toward the
crest, a transition from subcritical to supercritical flow
occurs at the top of the obstacle. Since the lee-slope
flow is now supercritical, fluid parcels continue to
accelerate as they descend, and very high velocities can
be produced because PE is converted to KE during the
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Figure 4 Behavior of shallow water flowing over an obstacle:

(A) everywhere supercritical flow; (B) everywhere subcritical flow;

(C) hydraulic jump after a transition from subcritical to supercritical

flow over the crest. (Reproduced with permission from Duran

(1990, Figure 4.5).)
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entire time over which a fluid parcel traverses the
obstacle. The deceleration that would otherwise occur
in the lee-side portion of the standing gravity wave is
disrupted when the flow becomes supercritical. In this
case fluid parcels eventually decelerate when they pass
through a turbulent hydraulic jump at some point
downstream from the crest.

Application of the Hydraulic Analogue
to the Atmosphere

The hydraulic analogue is best applied to the atmos-
phere in a qualitative rather than a quantitative,
manner. Quantitative application is hindered by the
difficulty of defining a dynamicallymeaningful Froude
number in vertically unbounded continuously strati-
fied flow. Avariety of expressions have been described
as Froude numbers in the literature, but all of the
simple expressions have serious deficiencies.

The parameter U=ðNh0, where N is the Brunt–
Vaisala frequency, U the wind speed, and h0 the
maximum mountain height, is sometimes referred to
as the Froude number in idealized cases in which N
and U are constant throughout the upstream flow.
Unlike the denominator in the conventional shallow
water Froude number,Nh0 is not the horizontal phase
speed of any particularly significant wave. (Nh0 is the
phase speedof a hydrostatic internal gravitywavewith
vertical wavelength 2ph0, but there is nothing parti-
cularly significant about this wavelength in contrast to
other similar waves with wavelengths such as 5h0 or
6h0.) On the other hand, the maximum perturbation
horizontal wind speed u0 in linear flow over an
obstacle with constant N and U scales like Nh0, so
that U=ðNh0Þ � U=u0 might be better described as a
nonlinearity parameter.

When there is a strong well-defined inversion at
some elevationH in the upstream flow, many authors
have attempted to define a Froude number as
U=

ffiffiffiffiffiffiffiffi
g0H

p
, where g0 ¼ gDy=y0 is the ‘reduced gravity’,

Dy is the increase in potential temperature across the
inversion, and y0 is the mean potential temperature
below the inversion. The difficulty with this approach
is that it implies that the pressure gradient force is
entirely determined by the vertical displacements of
the inversion layer and thereby neglects the influence,
on the surface pressure gradient, of vertical displace-
ments in the stably stratified fluid above and below the
inversion. Moreover, it is also very difficult to deter-
mine a precise quantitative value forU=

ffiffiffiffiffiffiffiffi
g0H

p
inmore

general applications in which the wind speed is not
constant below the inversion and the inversion itself
may be indistinct. As a consequence, the reduced-
gravity shallowwatermodel, in which F is replaced by

U=
ffiffiffiffiffiffiffiffi
g0H

p
in eqn [3], will not reliably yield reasonable

approximations to the speed and depth of the down-
slope flow in actual windstorms.

Significant downslope winds have been observed to
develop in three basic situations: (1) when a standing
mountain wave in a deep cross-mountain flow
achieves sufficient amplitude to overturn and break
down at some level in the troposphere; (2) when
standing mountain waves break and dissipate at a
critical level in a shallow cross-mountain flow; and (3)
when there is sufficient static stability near mountain-
top level in the cross-mountain flow to create high
downslope winds even without wave breaking. The
qualitative application of hydraulic theory to the
dynamics of downslope winds centers on the idea that
in all three of these cases there is a transition from
wavelike behavior over the upstream slopes of the
topography to a non-wavelike regime in the lee.

First, consider the case of breaking waves in a deep
cross-mountain flow. The structures of the low-level
horizontal velocity perturbations in a stationary 2D
internal gravity wave forced by an isolated ridge are
shown in Figure 5A. In this case, the upstream wind
and static stability are constant with height such that
N ¼ 0:01047 s�1, U ¼ 10m s�1, and Nh0=U ¼ 0:6.
Streamlines for this same stationary internal gravity
wave are plotted in Figure 3A of the entry Lee Waves
andMountainWaves. As is apparent in Figure 5A, the
detailed structures of the velocity perturbations in the
internal gravity wave are somewhat different from
those in the surface gravity wave schematically illus-
trated in Figure 4B. In particular the maximum
perturbation surface wind speed occurs halfway
down the lee slope in the internal gravity wave,
whereas it occurs at the crest in the surface gravity
wave. Nevertheless, both types of waves allow a fluid
parcel to arrive at the ridge crest with a positive
perturbation velocity (i.e., to undergo a net accelera-
tionwhile ascending to the crest), and in both cases the
wind speed eventually returns to its ambient valuewell
downstream of the crest as KE is converted back to PE
in the lee-side portion of the stationary gravity wave.

The enhancement of the perturbation horizontal
winds along the lee slope in Figure 5A is too weak to
create significant downslope winds. (The total wind
speed increases from 10m s� 1 far upstream to ap-
proximately 15m s� 1 in the lee.) Much stronger
downslope winds occur in the case shown in Figure
5B, which is a vertical cross-section of the perturba-
tion horizontal velocity in a simulation identical to
that shown in Figure 5A, except that the height of the
mountain has been doubled so thatNh0=U ¼ 1:2. The
higher topography in this case forces the internal
gravity wave to overturn and produces a well-mixed
region of weakly reversed flow at elevations around
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3km over the lee slope. (The region of reversed flow is
that in which the horizontal perturbation velocity is
less than � 10m s� 1.) Streamlines for this samewave-
breaking case are shown in Figure 4A of the entry Lee
Waves and Mountain Waves. Although the lee-side
flow is dramatically different when the wave is
breaking, the flow upstream of the crest remains
consistent with that in a stationary internal gravity
wave. Linear theory for stationary internal gravity
waves predicts that doubling the mountain height
should double the amplitude of the perturbation
horizontal velocities without changing the spatial
distribution of the perturbations relative to the
mountain, and this is essentially the case in the region
upstreamof the crest.Note, for example, the similarity
of the 3m s� 1 contour in Figure 5A to the 6m s�1

contour in Figure 5B.
Since the wave in Figure 5B has become unstable

and overturned above the lee slope, there is no
standing gravity wave to decelerate the fluid parcels
as they descend. Instead these parcels continue to
accelerate as PE is converted to KE along the entire lee
slope, generating strong downslope winds in which
the maximum surface wind speeds (428m s� 1) are
approximately three times stronger than the 10m s�1

flow far upstream. Wave breaking in a deep cross-
mountainflowappears tohaveplayedan important role
in the generation of the 11 January 1972 Boulder, CO,
windstorm.Thepresenceofbreakingwaves is suggested
by the almost vertical orientation of the isentropes on
the lee side of the trough in the upper-level wave in
Figure 2 and by the turbulence encountered along the
flight legs through this region.

The second type of situation conducive to the
development of strong downslope winds is illustrated
in Figure 3. In this bora event a critical level at an
elevation of about 2 km disrupts the lee-side gravity
wave so that, once again, fluid parcels near the surface

undergo a net acceleration in the wavelike upstream
flow as they ascend the mountain crest and then
continue to accelerate as they convert PE to KE while
descending the entire lee slope. The vertical displace-
ment of a streamline about its initial undisturbed level
dðx; zÞ can be modeled with reasonable fidelity in the
flow beneath the critical layer by solving the hydro-
static Long’s equation

q2d
qz2

þN2

U2
d ¼ 0 ½7�

subject to the lower boundary condition that the
streamline follow the topography

d x; z ¼ h xð Þ½ � ¼ h xð Þ ½8�
and an upper boundary condition in which the
horizontal wind speed is held constant along a
‘dividing streamline’ separating the well-mixed turbu-
lent region from the underlying high-speed flow. In the
case shown in Figure 3, the 294K isentrope approx-
imates a dividing streamline while the 296K isentrope
roughly coincides with the top of the wedge of well-
mixed air downwind of the crest. Very close mathe-
matical analogies exist between conventional shallow
water hydraulic theory and the mathematical solu-
tions to eqns [7] and [8], although there is no simple
parameter that plays the role of the Froude number in
this analogy.

The third situation that produces strong downslope
winds may occur when there is high static stability at
low levels in the cross-mountain flow and lower
stability aloft. A prototypical example of this type is
presented in Figure 6, which shows contours of the
perturbation horizontal velocity field and streamlines
from a numerical simulation identical to that de-
scribed in Figure 5A, except that the Brunt–Vaisala
frequency above 3 km in the upstream flow is reduced
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by a factor of 0.4. Comparison of the horizontal wind
speed perturbations between Figures 5A and6A shows
that the perturbation horizontal winds are twice as
strong and that themaximumwindshave shifted to the
surface along the lee slope in the two-layer flow. The
amplification of the surface winds in the two-layer
simulation is producedwithoutwave breaking; in fact,
the flow does not come close to stagnation.

The streamlines within the lower layer shown in
Figure 6B appear similar to those in water undergoing
a transition from subcritical to supercritical flow over
the crest of anobstacle.Near the base of the lee slope in
Figure 6, the flow recovers toward ambient conditions
by radiating energy downstream in a series of verti-
cally trapped gravity waves. The removal of energy by
these trapped waves is analogous to the dissipation of
energy at the point where the flow recovers toward
ambient downstream conditions in a hydraulic jump
in the standard shallow water model (Figure 4C).
Additional sensitivity studies have demonstrated that
the changes in the depth of the lower layer and the
maximum height of the mountain modify the two-
layer flow in amanner onewould expect on the basis of
hydraulic theory. In particular, making the lower layer
too deep or the mountain too small eliminates the
transition to a high wind regime.

In actual downslope wind events the dynamical
influence of a low-level stable layer may act in concert

with wave breaking to generate very high winds.
Indeed climatological data and numerical experiments
suggest this is often the case in Boulder windstorms. In
particular, nonlinear wave amplification due to the
presence of a low-level stable layer appears to have
served as a necessary precursor to wave breaking
during the 11 January 1972 event.

See also

Buoyancy andBuoyancyWaves:Optical Observations;
Theory. Katabatic Winds. Lee Vortices. Lee Waves
and Mountain Waves.
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Introduction

Drought results from a deficiency of precipitation
from expected or ‘normal’ that, when extended over a
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season or longer period of time, is insufficient to meet
the demands of human activities. Scores of definitions
of drought exist, reflecting different climatic charac-
teristics from region to region and sector-specific
impacts. Although droughts are usually classified as
meteorological, agricultural, hydrological, or socio-
economic, all types of drought originate from a
deficiency of precipitation that results in water short-
age for some activity or some group. Drought must be
considered a relative, rather than absolute, condition.
The ultimate results of these precipitation deficiencies
are, at times, enormous economic and environmental
impacts as well as personal hardship. Impacts of
drought appear to be increasing in both developing
and developed countries, a clear indication of nonsus-
tainable development in many cases. Lessening the
impacts of future drought events will require nations
to pursue development of drought policies that
emphasize a wide range of risk management tech-
niques, including improved monitoring and early
warning systems, preparedness plans, and appropriate
mitigating actions and programs.

Drought is considered by many to be the most
complex but least understood of all natural hazards,
affecting more people than any other hazard. It is a
normal feature of climate and its recurrence is inev-
itable. However, there remains much confusion about
its characteristics. It is precisely this confusion that
explains, to some extent, the lack of emphasis on
proactive droughtmanagement efforts inmost parts of
the world. Through an improved understanding and
awareness of the concept and characteristics of
drought and its differences from other natural haz-
ards, scientists, policy makers, and the public will be
better equipped to establish much-needed policies and
plans whereby vulnerability can be reduced for future
generations.

The Concept of Drought

Drought differs from other natural hazards (such as
floods, tropical cyclones, and earthquakes) in several
ways. First, drought is a slow-onset, creeping natural
hazard. Its effects often accumulate slowly over a
considerable period of time and may linger for years
after the termination of the event. Therefore, the onset
and end of drought are difficult to determine. Because
of this slow-onset characteristic, it is difficult to
recognize the onset of drought, and scientists and
policy makers continue to debate the basis (i.e., the
criteria) for declaring an end to a drought.

Second, the absence of a precise and universally
accepted definition of drought adds to the confusion
aboutwhether or not a drought exists and, if it does, its
degree of severity. Realistically, definitions of drought

must be region-specific and application- (or impact-)
specific. This is one explanation for the scores of
definitions that have been developed. Many defini-
tions do not adequately define drought in meaningful
terms for scientists and policy makers. In many cases,
the thresholds for declaring drought are arbitrary (i.e.,
they are not linked to specific impacts in key economic
sectors).

Third, drought impacts are nonstructural and
spread over a larger geographical area than damages
that result from other natural hazards. The (US)
National Drought Mitigation Center recently deter-
mined that for the 48 contiguous states of the United
States, severe and extreme drought affectedmore than
25% of the country in 27 of the past one hundred
years. This represents an area of 1 942 500 km2 or
more. During the drought of 1934, more than 60% of
the 48 contiguous states experienced severe or extreme
drought conditions. Quantifying the impacts and
providing disaster relief are far more difficult tasks
for drought than they are for other natural hazards.
Emergency managers, for example, are more accus-
tomed to dealing with impacts that are structural and
localized, responding to these events by restoring
communication and transportation channels, provid-
ing emergency medical supplies, ensuring safe drink-
ing water, and so forth. These characteristics of
drought have hindered the development of accurate,
reliable, and timely estimates of severity and impacts
and, ultimately, the formulation of drought prepared-
ness plans.

Many people consider drought to be largely a
natural or physical event. Figure 1 illustrates that, in
reality, drought has both natural and social compo-
nents. The risk associated with drought for any region
is a product of both the region’s exposure to the event
(i.e., probability of occurrence at various severity
levels) and the vulnerability of society to the event. The
natural event (i.e., meteorological drought) is a result
of the occurrence of persistent large-scale disruptions
in the global circulation pattern of the atmosphere.
Exposure to drought varies spatially and there is little,

Components of 
Drought

HAZARD
(natural event)

Vulnerability
(social factors)

•Hazard + Vulnerability = RISK •Prediction
•Monitoring/Early warning
•Mitigation
•Preparedness

Figure 1 Components of drought. (Source: National Drought

Mitigation Center.)
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if anything, that we can do to alter drought occur-
rence. Vulnerability, on the other hand, is determined
by social factors such as population changes, popula-
tion shifts (regional and rural to urban), demographic
characteristics, technology, policy, and social be-
havior. These factors change over time and thus
vulnerability is likely to increase or decrease in
response to these changes. Subsequent droughts in
the same region will have different effects, even if they
are identical in intensity, duration, and spatial char-
acteristics, because societal characteristics will have
changed. However, much can be done to lessen
societal vulnerability to drought.

Defining Drought

Drought is the consequence of a natural reduction in
the amount of precipitation received over an extended
period of time, usually a season or more in length,
although other climatic factors (such as high temper-
atures, high winds, and low relative humidity) are
often associated with it in many regions of the world
and can significantly aggravate the severity of the
event. Drought is also related to the timing (principal
season of occurrence, delays in the start of the rainy
season, occurrence of rains in relation to principal
crop growth stages) and the effectiveness of the rains
(rainfall intensity, number of rainfall events). Thus,
each drought event is unique in its climatic character-
istics, spatial extent, and impacts. The area affected by

drought is rarely static during the course of the event.
As drought emerges and intensifies, its core area or
epicenter shifts and its spatial extent expands and
contracts throughout the duration of the event.

Because drought affects so many economic and
social sectors, scores of definitions have been devel-
oped by a variety of disciplines. In addition, because
drought occurs with varying frequency in nearly all
regions of the globe, in all types of economic systems,
and in developed and developing countries alike, the
approaches taken to define it also reflect regional and
ideological differences. Impacts also differ spatially
and temporally, depending on the societal context of
drought. A universal definition of drought is an
unrealistic expectation.

Many disciplinary perspectives of drought exist,
often causing considerable confusion about what
constitutes a drought. Research has shown that the
lack of a precise and objective definition in specific
situations has been an obstacle to understanding
drought, which has led to indecision and/or inaction
on the part of managers, policy makers, and others. It
must be accepted that the importance of drought lies in
its impacts. Thus definitions should be region-specific
and impact- or application-specific in order to be used
in an operational mode by decision makers.

Drought is normally grouped by type into meteor-
ological, hydrological, agricultural, and socioeco-
nomic. Figure 2 explains the relationship between
these various types of drought and the duration of the

Natural Climate Variability

Precipitation deficiency
(amount, intensity, timing)

High temp., high winds, low
relative humidity, greater

sunshine, less cloud cover

Increased evaporation
and transpiration

Reduced infiltration, runoff,
deep percolation, and
ground water recharge
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Plant water stress, reduced
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Figure 2 Relationship between types of drought. (Source: National Drought Mitigation Center.)
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event. The impacts associated with drought usually
take three or more months to develop, but this period
can vary considerably, depending on the timing of the
initiation of the precipitation deficiency.

Meteorological (or climatological) drought is ex-
pressed solely on the basis of the degree of dryness
(often in comparison to some normal or average
amount) and the duration of the dry period. Thus,
intensity and duration are the key characteristics of
these definitions. Meteorological drought definitions
must be considered as region-specific since the atmos-
pheric conditions that result in deficiencies of pre-
cipitation are climate regime-dependent. Most mete-
orological drought definitions relate actual precipita-
tion departures to average amounts on monthly,
seasonal, water year, or annual time scales.

Agriculture is usually the first economic sector to be
affected by drought because soil moisture supplies are
often quickly depleted, especially if the period of
moisture deficiency is associated with high tempera-
tures andwindy conditions.Agricultural drought links
various characteristics of meteorological drought to
agricultural impacts, focusing on precipitation short-
ages, differences between actual and potential evapo-
transpiration, and soil water deficits. A plant’s
demand for water is dependent on prevailing weather
conditions, biological characteristics of the specific
plant, its stage of growth, and the physical and
biological properties of the soil. A definition of
agricultural drought should account for the variable
susceptibility of crops at different stages of crop
development. For example, deficient subsoil moisture
in an early growth stage will have little impact on final
crop yield if topsoil moisture is sufficient to meet early
growth requirements. However, if the deficiency of
subsoil moisture continues, a substantial yield loss
may result.

Hydrological droughts are associated with the
effects of periods of precipitation shortfall on surface
or subsurface water supply (i.e., streamflow, reservoir
and lake levels, groundwater) rather than with pre-
cipitation shortfalls. Hydrological droughts are usu-
ally out of phase with or lag the occurrence of
meteorological and agricultural droughts. More time
elapses before precipitation deficiencies are detected in
other components of the hydrological system (e.g.,
reservoirs, groundwater). As a result, impacts are out
of phase with those in other economic sectors. Also,
water in hydrological storage systems (e.g., reservoirs,
rivers) is often used for multiple and competing
purposes (power generation, flood control, irrigation,
recreation), further complicating the sequence and
quantification of impacts. Competition for water in
these storage systems escalates during drought, and
conflicts between water users increase significantly.

Finally, socioeconomic drought associates the sup-
ply and demand of some economic good or service
with elements of meteorological, hydrological, and
agricultural drought. Socioeconomic drought is asso-
ciated directly with the supply of some commodity or
economic good (e.g., water, hay, hydroelectric power)
that is the result of precipitation shortages. Increases in
population can substantially alter the demand for
these economic goods over time. This concept of
drought supports the strong symbiosis that exists
between drought and its impacts and human activities.
Thus, the incidence of drought could increase because
of a change in the frequency of meteorological
drought, a change in societal vulnerability to water
shortages, or both. For example, poor land-use prac-
tices such as overgrazing can decrease animal carrying
capacity and increase soil erosion, which exacerbates
the impacts of and vulnerability to future droughts.

Drought Characteristics and Severity

Droughts differ from one another in three essential
characteristics: intensity, duration, and spatial cover-
age. Intensity refers to the degree of the precipitation
shortfall and/or the severity of impacts associatedwith
the shortfall. It is generally measured by the departure
of some climatic index from normal and is closely
linked to duration in the determination of impact. The
simplest index in widespread use is the percentage of
normal precipitation, but there are numerous more
complex and more effective indices available. It is
generally recommended that several indices be used to
monitor drought onset and development because each
index has its particular strengths andweaknesses.One
of the principal difficulties with this (or any) index is
the choice of the threshold below which the deficiency
of precipitation must fall (e.g., 75% of normal) to
define the onset of drought and trigger various
mitigation actions or response programs. Thresholds
are usually chosen arbitrarily. In reality, they should be
linked to impact.

Another distinguishing feature of drought is its
duration. Droughts usually require a minimum of two
to three months to become established but then can
continue for months or years. The magnitude of
drought impacts is closely related to the timing of the
onset of the precipitation shortage, its intensity, and
the duration of the event. For example, a dry period
that begins in the late fall and continues through the
winter months in the midwestern United States will
likely have negligible impacts. However, if dry condi-
tions persist into the spring and early summermonths,
agricultural and urban demands for water supplies
increase dramatically. Pasture growth will be red-
uced, affecting livestock producers through supply
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shortages and increasing prices. Diminished topsoil
and subsoil moisture will also affect seed emergence
and early growth development for grain crops such as
corn and soybeans, eventually affecting yield and crop
production if dry conditions persist throughout the
summer months. Urban water supplies are often
reduced, forcing water suppliers to impose volun-
tary or mandatory water conservation measures. As
drought conditions extend over more than one grow-
ing season, impactsmagnify substantially as a result of
declining surface and subsurfacewater supplies and an
expanding circle of impacts.

Droughts also differ in terms of their spatial
characteristics. The areas affected by severe drought
evolve gradually, and regions of maximum intensity
shift from season to season. In larger countries, such as
Brazil, China, India, the United States, or Australia,
drought would rarely, if ever, affect the entire country.
During the severe drought of the 1930s in the United
States, for example, the area affected by severe
drought never exceeded 65% of the country (see
Figure 3). By contrast, drought affected more than
95% of the Great Plains region in 1934. On the other
hand, it is indeed rare for drought not to exist in a
portion of the United States each year. Thus, the
governments of larger countries are more accustomed
to dealing with water shortages and have established
an infrastructure to respond, albeit reactively. For
smaller countries, it is more likely that the entire
country might be affected since droughts are usually
regional phenomena.

From a planning perspective, the spatial character-
istics of drought have serious implications. Nations
should know the probability that drought may simul-
taneously affect all or several major crop-producing

regions within their borders and develop contingen-
cies for the occurrences of such an event. Likewise, it is
important for governments to know the chances of a
regional drought simultaneously affecting agricultural
productivity in their country as well as adjacent
or nearby nations on whom they are dependent for
food supplies. In some instances, a nation’s primary
drought mitigation strategy may be to import food
from nearby nations, ignoring the likelihood that a
droughtmay have significant regional impacts on food
supplies. Likewise, the occurrence of drought world-
wide or in the principal grain-exporting nations, such
as occurred during the ENSO event of 1982–83, may
significantly alter a developing country’s access to
food from donor governments.

The Impacts of Drought

The impacts of drought are diverse and often ripple
through the economy. Thus, impacts are often referred
to as direct or indirect, or they are classified as first-,
second- or third-order. Conceptually speaking, the
more removed the impact from the cause, the more
complex the link to the cause. In other words, a loss of
yield resulting from drought is a direct or first-order
impact of drought. However, the consequences of that
impact (e.g., loss of income, farm foreclosures, gov-
ernment relief programs) are secondary or tertiary
impacts.

Because of the number of affected groups and
sectors associated with drought, its spatial extent, and
the difficulties connected with quantifying environ-
mental damages and personal hardships, the precise
determination of the financial costs of drought is an
arduous task. It has been estimated that the average
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annual impacts of drought in the United States are
$6–8 billion. These figures may be misleading because
drought years often occur in clusters, such as 1931–39,
1954–56, 1974–77, 1987–92, and 1996–2000 (see
Figure 3). Impacts during each of these years were
much above the annual average. During the drought
years of 1976–77 and 1988, for example, government
estimates of impacts were $36 and $40 billion,
respectively.

The impacts of drought can be classified into three
principal areas: economic, environmental, and social.
Table 1 presents a simplified illustration of the impacts
associated with each of these areas. Economic impacts
range from direct losses in the broad agricultural and
agriculturally related sectors, including forestry and
fishing, to losses in recreation, transportation, bank-
ing, and energy sectors. Other economic impacts
would include added unemployment and loss of
revenue to local, state, and federal government.
Environmental losses are the result of damages to
plant and animal species, wildlife habitat, and air and
water quality; damage from forest and range fires;
degradation of landscape quality; and soil erosion.
Although these losses are difficult to quantify, growing
public awareness and concern for environmental
quality has forced public officials to focus greater
attention on these effects. Social impacts mainly
involve public safety, health, conflicts between water
users, and inequities in the distribution of impacts and
disaster relief programs.

Aswith all natural hazards, the economic impacts of
drought are highly variable within and between
economic sectors and geographic regions, producing
a complex assortment of winners and losers with the
occurrence of each disaster. For example, decreases in
agricultural production result in enormous negative
financial impacts on farmers in drought-affected
areas, at times leading to foreclosure. This decreased
production also leads to higher prices of grains,
vegetables, and fruit. These price increases have a
negative impact on all consumers as food prices
increase. However, farmers outside the drought-
affected area with normal or above-normal produc-
tion or those with significant grain in storage reap the
benefits of these higher prices. Similar examples of
winners and losers can be given for other economic
sectors as well.

Drought Response and Preparedness

With the occurrence of any natural disaster come
appeals for disaster assistance from the affected area.
For decades, governments have typically responded to
drought by providing emergency, short-term, and
long-term assistance to distressed areas. Emergency

and short-term assistance programs are often reactive,
a kind of ‘band-aid’ approach tomore serious land and
water management problems. Actions of this type
have long been criticized by scientists and government
officials, as well as by recipients of relief, as inefficient
and ineffective. Long-term assistance programs are far
fewer in number, but they are proactive. They attempt
to lessen a region’s vulnerability to drought through
improved management and planning.

Governmental response to drought includes a wide
range of potential actions to deal with the impacts of
water shortages on people and various economic
sectors. In the United States and other developed
countries, agencies of the federal government typically
respond bymakingmassive amounts of relief available
to the affected areas.Most of this relief is in the formof
short-term emergency measures to agricultural pro-
ducers and few, if any, of these assistance measures in
recent years have been aimed at reducing future
vulnerability. In developing countries, emergency
response is often provided by donor governments,
nongovernmental organizations, and international
organizations in the form of food aid, health services,
access to potable water supplies, and transportation
services.

Because of the unique character of drought, gov-
ernments have been less inclined to invest resources to
develop well-conceived mitigation programs and
contingency plans. This reactive approach to natural
disasters is commonly referred to as crisis manage-
ment. Research has demonstrated that reaction to
crisis often results in the implementation of hastily
prepared assessment and response procedures that
lead to ineffective, poorly coordinated, and untimely
response. An alternative approach is to initiate plan-
ning between periods of drought, thus developing a
more coordinated and proactive response that would
more effectively address those persons, areas, and
sectors most at risk. Also, the limited resources
available to government to mitigate the effects of
drought could be allocated in a more beneficial
manner.

Drought Policy and Planning

Drought planning is defined as actions taken by
individual citizens, industry, government, and others
in advance of drought for the purpose of mitigating
some of the impacts and conflicts associated with its
occurrence. Because drought is a normal part of
climate variability for virtually all regions, it is
important to develop plans to dealwith these extended
periods of water shortage in a timely, systematic
manner as they evolve. This planning process needs to
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Table 1 Classification of drought-related impacts (costs and losses)a

Problem sectors Impacts

Economic � Loss from crop production

Annual and perennial crop losses; damage to crop quality

Reduced productivity of cropland (wind erosion, etc.)

Insect infestation

Plant disease

Wildlife damage to crops

� Loss from dairy and livestock production

Reduced productivity of range land

Forced reduction of foundation stock

Closure/limitation of public lands to grazing

High cost/unavailability of water for livestock

High cost/unavailability of feed for livestock

High livestock mortality rates

Increased predation

Range fires

� Loss from timber production

Forest fires

Tree disease

Insect infestation

Impaired productivity of forest land

� Loss from fishery production

Damage to fish habitat

Loss of young fish due to decreased flows

� Loss of national economic growth, retardation of economic development

� Income loss for farmers and others directly affected

� Loss of farmers through bankruptcy

� Loss to recreational and tourism industry

� Loss to manufacturers and sellers of recreational equipment

� Increased energy demand and reduced supply because of drought-related power curtailments

� Costs to energy industry and consumers associated with substituting more expensive fuels (oil) for hydroelectric

power

� Loss to industries directly dependent on agricultural production (machinery and fertilizer manufacturers, food

processors, etc.)

� Decline in food production/disrupted food supply

Increase in food prices

Increased importation of food (higher costs)

� Disruption of water supplies

� Unemployment from drought-related production declines

� Strain on financial institutions (foreclosures, greater credit risks, capital shortfalls, etc.)

� Revenue losses to federal, state, and local governments (from reduced tax base)

� Deterrence of capital investment, expansion

� Dislocation of businesses

� Revenues to water supply firms

Revenue shortfalls

Windfall profits

� Loss from impaired navigability of streams, rivers, and canals

� Cost of water transport or transfer

� Cost of new or supplemental water resource development

Environmental � Damage to animal species

Reduction and degradation of fish and wildlife habitat

Lack of feed and drinking water

Disease

Increased vulnerability to predation (e.g., from species concentration near water)

� Loss of biodiversity

� Wind and water erosion of soils

� Reservoir and lake drawdown

� Damage to plant species

� Water quality effects (e.g., salt concentration, increased water temperatures, pH, dissolved oxygen)

� Air quality effects (dust, pollutants)

� Visual and landscape quality (dust, vegetative cover, etc.)
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occur at various levels of government and to be
integrated between levels of government.

The purpose of a drought plan is to reduce the
impacts of drought by identifying the principal sectors,
groups, or regions most at risk and developing
mitigation actions and programs that can reduce these
risks in advance of future drought events. Generally,
drought plans have three basic components: monitor-
ing and early warning; risk and impact assessment;
and response and mitigation. Plans will also improve
coordination within agencies of government and
between levels of government. In the United States,
there has been a remarkable growth in the number of
states with drought plans. In 1982, only three states
had drought plans. By late 2000, thirty states have
drought plans and six additional states are in various
stages of plan development (Figure 4). Planning
methodologies are available to facilitate the planning
process (see Further Reading). This trend demon-
strates an increased concern about the potential
impacts of extended water shortages and the com-
plexity of those impacts. Drought plans are at the
foundation of improved drought management, but
only if they emphasize risk assessment and mitigation
programs and actions. Most of the drought plans that
currently exist in the United States still emphasize
emergency response or crisis management, but this
pattern is slowly changing.

Other developed and developing countries are also
making substantial progress in drought preparedness
through the application of appropriate risk manage-
ment techniques. Australia developed a national
drought policy in the early 1990s and this policy has
undergone revision as experience with the policy has
increased. The Australian policy is focused on the
agricultural sector and seeks to improve the self-
reliance or drought-coping capacity of farmers and to
promote the sustainable use of natural resources. The
government has invested resources in improving
longer-range forecasts and other decision support
systems to aid farmers in farm management. South
Africa also developed a national drought policy that
emphasizes the same principles as that implemented
by Australia. Many other countries in South America,

Problem sectors Impacts

� Increased fire hazard

� Estuarine impacts; changes in salinity levels, reduced flushing

Social � Increased groundwater depletion (mining), land subsidence

� Loss of wetlands

� Loss of cultural sites

� Insect infestation

� Food shortages (decreased nutritional level, malnutrition, famine)

� Loss of human life (e.g., food shortages, heat)

� Public safety from forest and range fires

� Conflicts between water users, public policy conflicts

� Increased anxiety

� Loss of aesthetic values

� Health-related low flow problems (e.g., diminished sewage flows, increased pollutant concentrations, etc.)

� Recognition of institutional constraints on water use

� Inequity in the distribution of drought impacts/relief

� Decreased quality of life in rural areas

� Increased poverty

� Reduced quality of life, changes in lifestyle

� Social unrest, civil strife

� Population migration (rural to urban areas)

� Reevaluation of social values

� Increased data/information needs, coordination of dissemination activities

� Loss of confidence in government officials

� Recreational impacts

aSource: National Drought Mitigation Center.

Table 1 Continued

States with plans emphasizing response
States with plans emphasizing mitigation
States developing long-term plans

States without drought plans
States delegating drought planning to local authorities

Figure 4 Status of drought planning, USA, December 2000.

(Source: National Drought Mitigation Center.)
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Europe, Africa, and Asia are following this trend
toward improving drought management through the
application of the principles of risk management.

Before developing a preparedness plan, government
officials should first define what they hope to achieve
by that plan. Thus, a drought policy statement should
be prepared in advance of a plan. The objectives of
drought policy should encourage or provide incentives
for agricultural producers, municipalities, and other
water-dependent sectors or groups to adopt appropri-
ate and efficient management practices that help to
alleviate the effects of drought. Past relief measures
have usually discouraged the adoption of appropriate
management techniques. Assistance should also be
provided in an equitable, consistent, and predictable
manner toallwithout regard toeconomiccircumstances,
industry, or geographic region. An objective should also
seek to protect the natural and agricultural resource
base. Degradation of natural resources can result in
spiraling economic, environmental, and social costs.

Summary

Drought is an insidious natural hazard that is a normal
part of the climate of virtually all regions. It should not
be viewed as merely a physical phenomenon. Rather,
drought is the result of an interplay between a natural
event and the demand placed on water supply by
human-use systems. Drought should be considered
relative to some long-term average condition of
balance betweenprecipitationandevapotranspiration.

Many definitions of drought exist; it is unrealistic to
expect a universal definition to be derived. The three
characteristics that differentiate one drought from
another are intensity, duration, and spatial extent. The
impacts of drought are diverse and generally classified
as economic, social, and environmental. Impacts
ripple through the economy and may linger for years
after the termination of the drought episode. Because
of the large number of groups and economic sectors
affected by drought, the nonstructural nature of its

impacts, its spatial extent, and the difficulties in
quantifying environmental damages and personal
hardships, the precise calculation of the financial costs
of drought is difficult. It appears that societal vulner-
ability to drought is escalating in both developing and
developed countries, and at a significant rate. It is
imperative that increased emphasis be placed on
mitigation, preparedness, and prediction and early
warning if society is to reduce the economic and
environmental damages associated with drought and
its personal hardships. This will require improved
coordinationwithin andbetween levels of government
and the active participation of stakeholders.

See also

Climate: Overview. Climate Variability: Seasonal to
Interannual Variability. El Niño and the Southern Oscil-
lation: Observation; Theory. Global Change: Surface
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Palmer Drought Index. Wildfire Weather.
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Introduction

Thunderstorm development is associated with a
variety of boundaries in the Earth’s planetary bound-
ary layer. Along with cold fronts and warm fronts,

low-level thunderstorm outflows can trigger new
thunderstorms. Although different from a boundary,
some terrain features are known to be preferred
locations for the initiation of thunderstorms. Another
type of boundary that can trigger thunderstorms is a
dryline. Drylines have been studied extensively in the
Great Plains of the United States. Two common
methods for studying the dryline are observational
field experiments and numerical simulations.
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Observational studies have measured properties of
drylines using a variety of instruments: land-based,
remote sensors, and movable platforms. Land-based
mesonetworks were established over much of Okla-
homa; each station is capable of measuring tempera-
ture, dew point temperature, pressure, and wind. In
addition, Doppler lidar, Doppler radar, and satellites
have also been used to make remote observations of
drylines. Movable observing platforms have also been
employed. In some studies, instrumented air planes
have flown organized paths through drylines.
Recently, automobiles fitted with instruments have
been used to drive through drylines. Along with
observational studies, numerical models have also
been used to study drylines.

Numerical models are another tool that is com-
monly used to study a dryline. Sensitivity studies can
be conducted by varying the horizontal and vertical
grid spacing. Terrain slope, soil moisture, and surface
vegetation types can all be varied together or one at a
time to study the impact on dryline evolution. One
advantage of using a numerical model is the ability to
neglect individual terms in the equations of motion;
for example, either turbulent mixing tendencies or
advection tendencies can be eliminated. Interpretation
of data from both dryline simulations and field
experiments provides important information for fore-
casters.

Forecasting thunderstormdevelopment is an impor-
tant ‘nowcasting’ issue. At times, the environment on
the moist side of a dryline can support thunderstorms.
The challenge for forecasters is to determine whether
thunderstorms will develop along a dryline. Some-
times thunderstorms form, at other times thunder-
storms fail to form along the entire length of a dryline.
On some occasions, thunderstorms form along some
parts of a dryline while other parts of a dryline remain
cloud-free. Thunderstorms provide needed rain for
agricultural regions; at the same time, some thunder-
storms can also produce severe weather: large hail and
damaging outflow winds. In addition, tornadoes are
frequently spawned; some tornadoes can cause not
only extensive damage to structures and crops, but
also loss of life.

Dryline Observations

Horizontal and Vertical Structure

Air masses in the planetary boundary layer of the
Earth’s atmosphere are separated by boundaries:
warm fronts, cold fronts, and drylines, for instance.
When a warm front passes an observing station, both
the temperature and dew point temperature increase.
When a cold front passes an observing station, both

the temperature and dew point temperature decrease.
In contrast, when a dryline passes an observing
station, although the temperature will remain the
same or increase, the dew point temperature usually
decreases significantly (Figure 1). At times, gusty
westerlywindsdevelopduring the passage of a dryline.

An environment that may contain a dryline can be
observed on the synoptic scale. A decrease of surface
dew point temperatures from 201C in central Okla-
homa to 71C near the border of Oklahoma and the
Texas Panhandle to about �21C within the Texas
Panhandle is typical: these values were observed on 24
May 1989. Measurements from dryline field experi-
ments have demonstrated that water vapor mixing
ratio and dew point temperature gradients – at the
surface – can respectively be as large as 5 g kg� 1 over a
15 km distance and 181C over a 10 km distance.

In addition to horizontal variations of both tem-
perature and water vapor mixing ratio, vertical
variations also occur in the vicinity of a dryline. On
the moist side of a dryline, the depth of the moist layer
generally increases to the east. In the afternoon,
however, the thickness of the moist layer – immedi-
ately on the moist side of a dryline – can increase to
several kilometers. On the dry side of a dryline, the
depth of the boundary layer can grow to a few
kilometers. As a consequence, the potentially warmer
air advects eastward over the moist layer, forming a
temperature inversion.

Drylines can appear in the warm sector of an
extratropical low-pressure system. As a region of low
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Figure 1 Time sequence of temperature (T , solid) and dew point

temperature (Td, dashed) for the passage of (A) a cold front,

(B) a warm front, and (C) a dryline.
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pressure moves eastward from the Rocky Mountains,
relatively hot and dry air advects north-eastward from
the desert south-west to western Texas, Oklahoma,
and Kansas. South to south-easterly flow from the
Gulf ofMexico transportswarmmoist air over eastern
Texas, Oklahoma, and Kansas. Both air masses – one
hot and dry, the other warm and moist – merge in a
confluence zone over central portions of the southern
plains. That is, the dryline environment contains not
only a horizontal dew point temperature gradient but
also a confluent wind field.

Demarcation of a Dryline

Determination of the location of a dryline, within an
environment where surface dew points decrease from
east towest, has been done in an arbitrarymanner. The
following contours have been used to denote a dryline
boundary:

� The 8 or 9 g kg� 1 water vapor mixing ratio (rv)
isohume. These values are approximately the mini-
mum needed to support tornadic thunderstorms. To
illustrate, at 950hPa an rv value of 9 gkg� 1 repre-
sents a dew point temperature equal to 11.41C.

� The 355K isopleth of equivalent potential tempera-
ture (ye).

� The first organized line of veering winds form the
3-hourly synoptic surface charts.

Some researchers have suggested that a dryline
boundary is a mixing zone that separates hot and dry
air from warm and moist air over a distance of
approximately 10 km.Observations from6May1995
dryline indicated horizontal gradients of water vapor
on the scale of 10 km.On the basis of observations of
the 15 May 1991, 7 June 1994, and 6 May 1995
drylines, a conceptual model of a dryline environment
was proposed. In the conceptual model, a dryline zone
separates hot anddry air fromwarmandmoist air. The
horizontal length scale of a dryline zone is approxi-
mately 10 km.

Observations indicate there are two horizontal
length scales associated with a dryline: 100 km and
10km. The larger length scale, 100 km identifies a
dryline environment. The dryline environment
describes the gradual decrease of surface dew point
temperatures from 201C in central Oklahoma to
�21Cwithin the Texas Panhandle. The smaller-length
scale, 10 km, describes a dryline zone and is contained
within a dryline environment. A dryline zone describes
the relatively large horizontal gradient of surface
dew point temperatures: 181C over a 10 km distance,
for example. Identification of a dryline zone is a
recent method of denoting the location of a dryline
(Figure 2).

Even though a dryline environmentmay exist over a
region, a dryline zone may be absent. Synoptic surface
observations from27May 1991 indicated a dew point
temperature decrease from approximately 201C in
central Oklahoma to near 101C at the Oklahoma–
Texas Panhandle border, to about 11C in north-west
portions of the Texas Panhandle. This profile of dew
point temperatures was similar to 24 May 1989 (see
above); however, a dryline zone was absent.

Although the determination of the location of a
dryline may vary, only one standard symbol is used on
a weather map. Warm fronts are denoted by a thick
contour with solid half circles drawn on the
contour. Regular spaces are placed between each half
circle along the length of a warm front. The symbol
used to denote the dryline is similar to that for a warm
front, except that the half circles are unfilled and are
placed adjacent to each other along the length of the
dryline.

Drylines Worldwide

Drylines exist in different locations on the globe.
Drylines have been observed in eastern China, west
central Africa, and India; in addition, dryline devel-
opment occurs in the Great Plains of the United States.
Drylines in theGreat Plains generally exist as far south
as Texas and as far north as Nebraska; furthermore,
drylines are found east of the Rockies and west of the
Mississippi River. Typically, drylines develop in the
spring and early summer. More specifically, observa-
tions indicate that drylines are present approximately

4 6 14 16

Dryline
environment

Dryline zone

Figure 2 Simplified profile of water vapor mixing ratio (solid lines

every 2 g kg� 1) showing a dryline environment and a dryline zone

over Oklahoma and Texas.
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30%of the days betweenApril and June over theGreat
Plains

Influence of Terrain

Unlike the east–west-oriented drylines in Africa,
drylines in the Great Plains of the United States are
typically positioned from south to north. Terrain
contours of the Great Plains are approximately
oriented in the north–south direction; that is, surface
elevation generally increases from east to west in the
Great Plains. As a result, the depth of the moist layer –
flowing northward from the Gulf of Mexico –
decreases from east to west. Sloping terrain gives rise
to a relatively diffuse eastward gradient of dew point
temperatures along thewestern edge of themoist layer.
In fact, the diffuse dew point temperature gradient is a
dryline environment.

Air on the west side of a dryline originates over the
elevated plateaus of the south-west United States and
northern Mexico. Prior to the onset of the summer
monsoon over the desert southwest, dew point
temperatures are relatively low. Afternoon high
temperatures typically range between 30 and 351C;
as a consequence, the boundary layer can become
several kilometers deep. During summer, hot and
dry air over the southwestern United States is replaced
by the cooler and moister monsoonal flow. As
indicated by satellite images, springtime westerly
flow changes to southerly flow during the summer.
Because of the moister monsoonal flow, the dew point
temperature gradient associated with the dryline
environment decreases. That is, onset of the summer
monsoon signals the end of the development of
drylines.

Dryline Movement

Migrationof hot anddry air from the south-west to the
Great Plains can occur gradually under quiescent
conditions, or rapidly when an extratropical cyclone
influences the wind field. Generally, hot and dry air is
advected by west to south-westerly flow, while warm
and moist air is advected by south to south-easterly
flow. Both air masses merge in a confluent zone over
the Great Plains. Typically, drylines move eastward
during the day; during the night, however, drylines
may move westward.

Generally, the eastward gradient of water vapor in a
dryline environment is relatively diffuse in the early
morning. The dryline – denoted by the 8 g kg� 1 water
vapor mixing ratio isohume – may exist within a
confluent zone. While the Sun warms the boundary
layer, a dryline may suddenly move eastward. Obser-
vations have shown that, in some cases, advection is
unable to account for the relatively rapid eastward

movement of a dryline. That is, the eastward move-
ment of the 8 g kg�1 rv isohume can be faster than the
south-westerly winds on the dry side of a dryline.

Sloping terrain together with a dry boundary layer
to the west are clues explaining the sudden movement
of a dryline. Owing to the increase in terrain elevation
over the southern plains, the depth of the moist layer
decreases toward the west. As a result, the western
edge of the moist layer is relatively shallow in the
morning. While ascending the moist layer, 8 g kg�1 rv
isohume will exist farther to the east: That is, the
8 g kg� 1 rv isohume slopes eastward with height. As
the Sun warms the boundary layer, vertical mixing
increases owing to the development of turbulent
eddies. Eventually, the turbulent eddies will mix the
elevated dry air with the shallow moist air below.
When the mixing is complete, the 8 g kg� 1 rv isohume
will appear to the east of the original location. Vertical
turbulent mixing can produce the sudden eastward
movement of a dryline; far enough eastward, however,
that advective processes are unable to account for
the horizontal displacement (Figure 3). While the
shallow moist layer is mixed upward, a deeper moist
layer exists to the east. When the moist layer is
deep enough, vertical mixingwill be unable tomix dry
air to the surface; consequently, the eastward move-
ment of the dryline will end, unless another process is
active.

Besides vertical turbulent mixing, other processes
can move a dryline eastward. In some situations, one
section of a dryline can move eastward while other
portions remain relatively stationary (Figure 4). After
some time, an eastward bulge will appear along an
otherwise north–south-oriented dryline. Unlike verti-
cal mixing of the shallow moist layer with dry air
located aloft, high-momentum air, associated with a
jet, is transported to the surface. Surface winds behind
the dryline can increase to 20m s� 1. Blowing dust
often results from gusty surface winds on the west side
of a dryline bulge. In some cases, streaks of blowing
dust appear in satellite imagery. Dust streaks in
infrared images, for example, will appear cooler than
the surrounding cloud free ground.

Doppler lidar was used to observe the westward-
moving dryline that occurred over western Texas
during the evening of 21 April 1985. Observations
indicated relatively large differences in density on
either side of the dryline. That is, denser air existed on
the east side of the dryline, while less dense air existed
to the west. As a result, the cool moist air moved
westward, lifting the hot and dry air upward. In other
words, the cooler air to the east of the dryline acted like
a density current while lifting the warmer air. Upward
motions of approximately 5m s� 1 were observed at
the interface of the two air masses.
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Nonlinear Biconstituent Diffusion

Along with vertical turbulent mixing, horizontal
mixing has been suggested to be important along a
dryline. Cumulus clouds are typically observed along
drylines; therefore, upward motion along drylines
must exist. Nonlinear biconstituent diffusion has been
proposed to explain upward motion along drylines.
Theoretical arguments show that horizontalmixing of
the hot and dry air, to the west of a dryline, with warm
andmoist air, to the east of a dryline, produces a rising
mixture that is positively buoyant. Virtual tempera-

ture, Tv, is written as eqn [1].

Tv ¼ T 1þ 0:61 rvð Þ ½1�

To a first approximation Tv is constant across a
dryline. IfTv ¼ 312K, then the air temperature on the
dry side of a dryline, Tdry, will be 311.051 29K for an
rdry value of 5 g kg

� 1. On the moist side of a dryline,
Tmoist ¼ 309:358 08K for an rmoist value of 14 g kg

�1.
Assuming the mixed air temperature and water vapor
mixing ratio are given by eqns [2] and [3], the mixed
virtual temperature, Tvmixed (eqn [4]) will equal
312.002 33K. Because the virtual temperature of the
mixed air is greater than the virtual temperature on
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Figure 3 Vertical turbulent mixing eroding the shallow portion of

a moist layer (A) causing the eastward movement of a dryline (B).

Sloping terrain is indicated by the thick solid line, while values of
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Figure 4 Morning position of a dryline (dashed) (A) prior to the

development of a dryline bulge (B) over Oklahoma.
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either side of the dryline, the mixed air will rise.

Tmixed ¼ 0:5 Tdry þ Tmoist

� � ½2�

rmixed ¼ 0:5 rdry þ rmoist

� � ½3�

Tvmixed ¼ Tmixed 1þ 0:61rmixedð Þ ½4�
Nonlinear biconstituent diffusion assumes constant

specific heat across a dryline. When variable specific
heats are taken into account, Tmixed as computed
above is replaced with eqn [5].

Hmixed ¼ 0:5 Hdry þHmoist

� � ½5�
The mixed enthalpy, Hmixed, is equal to

ð1þ 0:84rmixedÞcp Tmixed. Solving for the mixed tem-
perature in this case yields eqn [6].

Tmixed ¼ 1þ 0:84rdry
� �

Tdry þ 1þ 0:84rmoistð ÞTmoist

2:0 1þ 0:84rmixedð Þ
½6�

After substitution, Tmixed ¼ 310:201 51K. Calcula-
tion of the mixed virtual temperature gives a value of
311.999 13K. As can be seen, the mixed virtual
temperature is smaller than the virtual temperature
on either side of the dryline; therefore, the mixed
air will sink (see Figure 5). As a result, nonlinear
biconstituent diffusion has been discounted as a
possible explanation for upward motion along a
dryline.

Remote Sensing

In addition to airplanes, cars, and surface stations,
remote sensors have also been employed to provide
measurements of a dryline. Some examples of remote
sensors are weather satellites, National Weather
Service (NWS) Doppler radars, and Doppler lidar.
Each sensor has strengths and weaknesses, but,
additional information is provided about a dryline.

Weather satellites have several different channels
that are used to study a dryline. Prior to the
development of cumulus along a dryline, two infrared
channels can be combined to improve detection of the
location of a dryline. Brightness temperatures in
infrared images are reduced by the presence of water
vapor in a cloud-free field of view. A moist cloud-free
boundary layer to the east of a dryline appears cooler
than the dry cloud-free boundary layer to the west of a
dryline. Some infrared channels are more sensitive to
water vapor than others; thus, the combination of
channels can provide an improved image for detecting
the western edge of a moist layer associated with a
dryline.Water vapor images provide characteristics of

the winds in the upper troposphere. Identification of
upper-level jets, along with the axis of maximum
winds, is possible; in addition, regions of rising and
sinking motion can be detected. Visible and infrared
images show regions of blowing dust to the west of
drylines. Visible images are also valuable for providing
a continuous view of cumulus clouds along the entire
length of a dryline; on the other hand, Doppler radars
will detect only a segment of a dryline. Unlike visible
images, a cloud-free dryline may appear as a fine line
when viewed by a Doppler radar.

Doppler lidar has also been used to study a dryline.
A vertically scanning Doppler lidar was used to study
the dryline that occurred on 21 April 1985 over
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western Texas. Radial speeds along the beam, Vr, are
related to the horizontal component of the wind
perpendicular to the dryline, U, and the vertical
component of the wind,W, by eqn [7].

Vr ¼ �U cos yþW sin y ½7�
where y is the elevation angle of the lidar beam. For
small elevation angles, U is diagnosed by neglecting
W sin y. Once the field of U is determined, W is
computed from the two-dimensional anelastic con-
tinuity equation [8], where rðzÞ is a vertically varying
reference state density.

qU
qx

¼ �1

r zð Þ
qrW
qz

½8�

Both the pressure and temperature fields are
retrieved once U and W are known. In two dimen-
sions, the anelastic equations ofmotion can bewritten
as eqns [9] and [10].

1

cpy0v

qU
qt

þU
qU
qx

þW
qU
qz

� �
¼ � qp

qx
½9�

1

cpy0v

qW
qt

þU
qW
qx

þW
qW
qz

� g
ynv
y0v

� �
¼ � qp

qz
½10�

In eqn [9] and [10], cp; g; y
n

v ; y0v, and p are the specific
heat at constant pressure, the acceleration of gravity,
the perturbation virtual potential temperature, the
reference state virtual potential temperature, and
Exner function, respectively. The Exner function is
related to pressure, p, by eqn [11], whereP0 andRd are
the reference state pressure and gas constant for dry
air, respectively.

p ¼ p

P0

� �Rd=cp

½11�

In a systemmovingwith the dryline, qU=qt and qW=qt
are assumed negligible relative to the advective terms.
Advective terms in the cross-dryline direction are
calculated from U and W to diagnose qp=qx; follow-
ing integration, p can be determined. Lastly, the
perturbation virtual potential temperature, ynv, is
determined from U,W, and p.

Knowledge of temperature and pressure allows for
further study of a dryline. For example, regions of high
and low pressure can be compared with the wind field
to see whether there is a nonhydrostatic contribution
to the pressure field. Retrieval analysis on the 21 April
1985 dryline showed the existence of a vertical
pressure gradient that aided in lifting hot and dry air
up and over the cooler andmoister air. Comparison of
the dryline speed with the speed of a density current

can be made with retrieved values of ynv=y0v. That is,
the propagation speed of a density current, c, is found
from eqn [12], where k is a constant near 1 and h is the
depth of the denser fluid.

c ¼ k gh
ynv
y0v

� �0:5

½12�

Although more complex, similar steps are used to
retrieve temperature and pressure from winds mea-
sured by a horizontally scanning Doppler radar.

Diurnal Variation of Water Vapor Gradient

Observations have indicated a diurnal variation of the
water vapor gradient associatedwith a dryline.During
the early morning, horizontal gradients of water
vapor, near the surface, are relatively small in a dryline
environment. During the afternoon, however, hori-
zontal gradients ofwater vapormay increase to several
grams per kilogram over a horizontal distance of
approximately 10 km.Although the depth of themoist
layer is shallow during the morning, processes in the
afternoon can cause the depth of themoist layer, along
a dryline, to increase to a few kilometers. Despite
eastward advection of hot and dry air from the west
side of a dryline, water vapor isohumes, along a
dryline, are nearly vertically oriented. In addition, the
relatively large horizontal gradient of water vapor
along a dryline is maintained with height. That is, a
vertically oriented moist plume exists along a dryline.
Along with dryline movement, vertical mixing within
a dryline zone has been proposed to explain the
vertically oriented moist plume.

Other state variables also display variations during
the day along a dryline: virtual potential temperature,
for example. Observations have shown that values of
yv decrease from west to east through a dryline. In
other words, a horizontal gradient of yv exists along a
dryline. Horizontal gradients of yv will initiate a
transverse circulation along a dryline.

The north–south component of the vorticity equa-
tion may be written as eqn [13].
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In eqn [13],B ¼ 1=gð Þ yv � y0ð Þ=y0 � rc½ � and yv, y0, rc,
and g represent the virtual potential temperature, the
reference state potential temperature, the total
condensate mixing ratio, and the acceleration of
gravity, respectively. In addition, Tx and Tz are the
components of the turbulent mixing tendency vector.
In a situationwhere only gradients in yv exist,Dwy=Dt
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will reduce to eqn [14].
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That is, decreasing values of yv from west to east
through a dryline will initiate a transverse solenoidal
circulation along a dryline. In particular, the circula-
tion will increase the easterly flow, on themoist side of
a dryline, causing an increase of horizontal conver-
gence. An increase of horizontal convergence along a
dryline will develop and maintain the relatively large
horizontal gradient of water vapor. An examination of
the frontogenetic forcing equation illustrates the
process.

The material derivative of =hrv can be expressed as
eqn [15].

D =hrvð Þ
Dt

¼ Fxex þ Fyey ½15�

In eqn [15], ex and ey are unit vectors and Fx and Fy are
given by eqns [16] and [17].
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As an approximation, suppose that the dryline
exhibits negligible variations along the north–south
direction. Furthermore, observations show that the
water vapor isohumes are almost vertically oriented;
in addition, assume that rv of a parcel is constant. Then
Fx ¼ � qu=qxð Þ qrv=qxð Þ and Fy ¼ 0. Because the pre-
existing gradient ofwater vapor, qrv=qx, is positive at a
dryline, an increase in convergence, qu=qx, will cause
Fx to be positive and thusD =hrvð Þ=Dtwill be positive.
In short, a horizontal gradient of water vapor will
increase if acted on by a horizontally convergent wind
field.

Thunderstorm Development

Identification of a dryline environment is an important
forecasting issue. Processes that occur in the dryline
environment may lead to the development of a dryline
zone. Although the dryline zone contains a greater
horizontal dew point temperature gradient, relative to
the dryline environment, the most important char-
acteristic of the dryline zone is upward motion. If
conditions are favorable, upward motion may lead to
convective initiation: thunderstorms. Even though the
resulting thunderstorms produce beneficial rains to
agricultural regions of the southern plains, such

storms can produce outflows in excess of 25m s�1,
hail that can damage crops and structures, and
tornadoes. As an example, the severe and tornadic
thunderstorms that formed in Kansas and Oklahoma
on 26 April 1991 were associated with a dryline.

All of the methods used to denote the position of a
dryline may yield drylines in different locations. That
is, a dryline zone may be located several tens of
kilometers east of the 8 or 9 g kg� 1 water vapor
mixing ratio isohume. If the 8 g kg� 1 water vapor
mixing ratio isohume is used to denote a dryline, then
thunderstorm initiationmay occur east of a dryline. In
other words, because of the arbitrary methods used to
denote the location of a dryline, thunderstorms may
appear to develop several tens of kilometers east or
west of a dryline.

Nowcasting thunderstorm development along
a dryline can be challenging. Thunderstorm initia-
tion can be supressed by the presence of an overlying
inversion. At times, however, the overlying in-
version might be completely eroded, and convective
inhibition may be zero. Even though convective
inhibition might be zero, convective development
may continue to be supressed along a dryline. After-
noon vertical profiles of temperature typically exhibit
neutral stability (constant potential temperature) from
the surface to about 2 km. Owing to the neutral
stability, upward lifting encounters little resistance.
After the lifting condensation level is reached, a
parcel can rise freely; that is, the lifting condensation
level is the level of free convection according to parcel
theory.

One assumption contained in parcel theory is the
absence of mixing of a parcel with the environment.
Consider the following situation. Assume that the
potential temperature is constant from the surface to
2 km; further, assume the water vapor mixing ratio is
constant from the surface to 1 km followed by a
marked decrease in the layer from 1km to 2 km.
According to parcel theory, a parcel is lifted from the
surface to the lifting condensation level, assumed to be
2 km, while maintaining the surface water vapor
mixing ratio value. In contrast to parcel theory,
when mixing of a parcel with the environment is
taken into account, then the potential temperature of
the parcel will remain the same from the surface to
2 km:The layer is neutrally stable.Water vapormixing
ratio values will also remain the same, but only from
the surface to 1 km. Within the layer from l km to
2 km, the environmental water vapor mixing ratio
decreases, and mixing of the parcel with the environ-
ment will decrease the water vapor mixing ratio of the
parcel. As a result of mixing the lifting condensation
level will increase, and condensation may occur at
a temperature that is cooler than the environment.
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In other words, mixing can result in positive values of
convective inhibition that upward motion, along a
dryline, is unable to overcome. As a result, thunder-
storm development will be supressed.

Dryline Simulations

Numerical models can be used to provide additional
information about dryline evolution. Field experi-
ments have provided a wealth of knowledge about
dryline characteristics and morphology; however, the
use of a numerical model to address some questions
about a dryline might be more practical. For example,
how would the evolution of a dryline change if the
slope of the terrain were altered in the Great Plains of
the United States? Although numerical models have
limitations, two- and three-dimensional dryline simu-
lations have provided beneficial results.

Benefits of Numerical Models

Numerical models are beneficial by providing answers
to questions that dryline field experiments may be
unable to answer. One consequence of the funda-
mental theorem of differential equations is that a
solution from any simulation is uniquely determined
from an initial state. As a result, changes in dryline
evolution with changes in an initial state can be
examined with a numerical model. For instance, the
slope of the terrain can be altered; vegetation
type along with soil moisture may also be
varied; and vertical shear can be changed in the initial
state.

Regions of missing data are unavoidable during a
dryline field experiment. Observational data sets are
incomplete in the horizontal direction, in the vertical
direction, and in time. Only portions of a dryline can
be sampled by an airplane, an automobile, a radar, a
lidar, a satellite, or surface stations. Although a
numerical model creates a uniformly discrete data
set, the density of simulated dryline data can be
relatively high. For example, amodel canproducedata
uniformly spaced every 5 km over hundreds of kilo-
meters in each horizontal direction. In addition, the
relatively large horizontal grid of data could be
generated every 500m above the ground, and the
three-dimensional data set can be produced as
frequently as one simulated time step: every 60 s in
some cases. That is, a three-dimensional simulation of
a dryline can produce an overwhelming amount of
data.

An additional benefit of using a numerical model is
the ability to evaluate individual forcing terms in
prognostic or derived equations. For example, Cori-
olis forcing can be compared to a pressure gradient

force in a particular region; furthermore, values of
horizontal advection of water vapor can be compared
to turbulent mixing of water vapor. Two methods of
analysis exist with a numerical model: Eulerian or
Lagrangian frames of reference. In an Eulerian frame,
comparisons of values of forcing are made at a grid
point; in contrast, comparisons of values of forcing
along trajectories are conducted in a Lagrangian
frame. Forcing terms in derived equations can also
be analyzed: the three-dimensional vorticity equation
and the diagnostic equation for pressure are two
examples.

Limitations of Numerical Models

Because of the design of a given numerical model and
computer resources, simulations of drylines have
limitations. Computer power can limit the size of a
region over which to run a simulation; moreover,
horizontal and vertical grid spacings can also be
limited by computer resources. Restrictions placed on
horizontal grid spacings can prevent some processes
from being resolved. A simulation that has horizontal
grid spacings equal to 25 kmwill represent and resolve
a dryline environment, but 25 km grid spacing is too
large to represent or resolve a dryline zone. The
choices of lateral, top, and lower boundary conditions
can influence the quality of a simulation. Because of
different time-stepping methods, different methods of
distributing prognostic variables on a grid, and
different parameterizations of sub-grid-scale mixing
or microphysics, variations of results from a dryline
simulation can occur. Although limitations exist,
numerical models are a useful tool for understanding
dryline evolution.

Two-Dimensional Dryline Simulations

Two-dimensional simulations have been used to
investigate the horizontal gradient of water vapor
associated with a dryline environment. Earlier work
demonstrated that vertical turbulent mixing can erode
the shallow portion of a moist layer; hence, the
eastward movement of a dryline (9 g kg� 1 rv iso-
hume). Other two-dimensional dryline simulations
have shown that surface convergence near a dryline is
linked to differential surface heating. That is, the
increase of the horizontal gradient of water vapor
resulted from solenoidal and frontogenetic forcing on
the scale of 100 km. Additional two-dimensional
simulations showed not only that downward trans-
port ofwesterlywindby verticalmixing on the dry side
of the dryline (8 g kg� 1 rv isohume) moved the dryline
eastward, but also that easterlywinds on themoist side
of the dryline were generated by an inland sea breeze.
Both processes resulted in horizontal convergence that
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maintained the horizontal water vapor gradient on the
scale of 150 km. Typical horizontal grid spacings used
for these simulations were approximately 30 km.

Because of the results from dryline field experi-
ments, horizontal grid spacingswere reduced in recent
simulations to resolve the dryline zone. In some
studies, horizontal grid spacings of 5 km were used;
as a result, the increase of the horizontal water vapor
gradient associated with the dryline zone was shown
to be a consequence of solenoids and frontogenetic
forcing on the scale of a few tens of kilometers. In some
cases, horizontally varying soil moisture was found to
be necessary for the development of a dryline zone.
Other two-dimensional simulations showed that soil
moisture was less important than vertical wind shear
and sloping terrain. Although soil moisture was found
to be relatively unimportant, this result might be a
consequence of horizontal grid spacings that were too
large to resolve the dryline zone.

Three-Dimensional Dryline Simulations

Three-dimensional simulations of drylines have been
used to examine the role of horizontally varying soil
moisture on dryline evolution. For example, soil
moisture was varied in a series of sensitivity experi-
ments for the dryline environment that occurred in
early May 1979. Results suggested that variable soil
moisture influenced the evolution of the following:

� Elevated mixed layer (lid)
� Dryline environment
� Easterly ageostrophic flow over east Texas and the
Gulf of Mexico

� Potential instability of air under the lid
� Location and intensity of precipitation.

Simulations of the 15, 16, and 26 May 1991 dryline
zones have all suggested that horizontally varying soil
moisture would promote the formation of a dryline
zone. That is, simulations have shown that a dryline
zone is thermally forced when a soil moisture field has
horizontal variations. In addition, the water vapor
field experiences frontogenetic forcing in response to
the thermally forced secondary circulation.

Convective initiation along drylines has also been
simulated with a three-dimensional model. Using
several two-way interactive nested grids, horizontal
grid spacings as small as 1 km have been achieved.
Studies of this kind have noted that rising motion –
associated with the secondary circulation within the
dryline zone – is thermally forced; as a consequence,
solenoidal circulations develop along with fronto-
genetic forcing. Convective initiation results from the
rising branch of the secondary circulation; that is,
lifting of warm moist air occurs within the secondary

circulation. Warm moist air may rise to the lifting
condensation level, and forced cumulus clouds can
form. As a result of further ascent by the secondary
circulation, the level of free convection may be
achieved, leading to the initiation of thunderstorms
(Figure 6).

See also
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Introduction

Mineral aerosols (often referred to as dust) are
ubiquitous in the atmosphere. Several sources con-
tribute to the dust loading such as soil-derived wind-
blown dust, industrial processes, and volcanic
eruptions. This article deals with soil-derived dust,
describing the properties, distribution, and effects of
mineral aerosols in the atmosphere.

Dust Sources and Production
Mechanisms

The major dust sources, which are arid and semi-arid
regions of the world, cover approximately 33% of the
global land area and have a dispersed geographical
distribution. The largest source is the Sahara–Sahel
region ofNorth Africa, emitting about 500–800Mt of
dust annually. Central Asia is the second largest dust
source, but less studied than the Saharan sources. It is
estimated that from 6 to 12 Mt year� 1 of Asian dust
are lifted by winds into the atmosphere. Other
important dust production regions are located in the
Arabian Peninsula, Australia, south-western United
States, and north-west India. Overall, current esti-
mates of global mean dust emission are in the range
from 1000 to 5000 Mt year�1.

The existing uncertainties of dust burden aremainly
due to the complexity of dust productionmechanisms,
which exhibit large spatiotemporal variability. The
emission of dust is controlled by both meteorological
characteristics (especially winds) and soil surface
features. Roughness, aggregated structure, texture,
mineralogy, andmoisture of the soil surface determine

the threshold wind speed required to initiate the
motion of dust particles. Currently, dust emission
schemes allowpredicting the thresholdwind speed as a
function of the particle size distribution of the parent
soil and the surface roughness.However, a single value
of the threshold wind speed of 6.5m s� 1 at 10m
height is often used in modeling the dust emission in
the general circulation models (GCMs), mainly be-
cause of the lack of input data on surface properties
required for dust production schemes.

Once winds are higher than a threshold value, the
movement of dust particles can be initiated either by
aerodynamic forces (called suspension) or by the
impact of saltating soil grains (a process known as
bombardment or sandblasting). Only the finest parti-
cles with diameters below about 60mm can be
suspended and transported upward by turbulent
eddies. However, these particles make up only a small
fraction of soil grains, most of which are present in the
form of aggregates of larger sizes due to strong
interparticle cohesive forces. The aggregates typically
have diameters from about 60–80 mm to several
hundred micrometers. The bombardment-induced
breakage of aggregates results in the release of fine
particles which is believed to be amajor contributor to
aeolian dust entrainment. The effects of vegetation
and surface crusting further complicate the dust
emission. The dust flux measurements reported in the
literature are in the range of 10� 5 to 10� 12 g cm�2 s� 1,
being centered around 10� 8 to 10� 9 g cm� 2 s� 1.
The dependence of dust emission on surface features

indicates that modification of surface type (for in-
stance, by human activities) may alter dust burden.
Various human activities (such as agriculture, con-
struction, deforestation, etc.) lead to land surface
disturbances. Disturbed surfaces are likely to be more
efficient dust sources than natural undisturbed lands.
The dust fraction produced as a result of human
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activities is called anthropogenic dust. Recent esti-
mates show that anthropogenic dust could be as much
as 30–50% of total dust load, but this remains
uncertain.

Natural or anthropogenic climate variability also
alter dust production. Frequent droughts and strong
winds are likely to enhance dust emission, while rains
tend to inhibit it.

Dust Composition, Morphology, and
Optical Properties

The composition of bed surfaces and mobilization
processes determine the initial particle size distribu-
tion of airborne dust, its composition, and the degree
of particle aggregation. Both the particle size distri-
bution and composition might be altered during dust
transport in the atmosphere.

The main species found in dust derived from soil
surfaces are quartz, various clays (e.g., kaolinite, illite,
montmorillonite), calcite, gypsum, and iron oxides
(e.g., hematite, goethite) among others. These miner-
als are characterized by very different physical and
chemical properties. For instance, different minerals
have different abilities to adsorb water vapor and
other chemically important atmospheric gases. Each
mineral has distinct spectral optical constants (or
refractive indices).

Consequently, the properties of dust as amixture are
determined by the relative abundance of various
minerals and their mixing state. Yet numerous climate
and remote sensing studies have considered dust as a
single generic species. This is partly due to the
complexity of quantitative determination of the min-
eralogical composition and a lack of data. In addition,
the dust composition varies from source to source. For
instance, dust in the Sahelian region is characterized by
a high Fe/Al ratio due to the abundance of ferralitic
soils. In contrast, soils in the semi-arid regions of
Central Asia contain less Fe. The difference in the
amount of iron oxides is of special importance because
they control primarily the ability of dust particles to
absorb and scatter sunlight.

Particle size spectra can have one or several modes,
each characterized by a specific composition. In
general, various clay particles tend to be smaller in
size than thosemade of quartz or carbonates. Ground-
based measurements near dust sources reveal that a
common mode with the particle distribution centered
around particles whose diameter is 3–6 mm is always
present regardless of atmospheric conditions. When
the wind speed exceeds the threshold value, a submi-
crometer mode (particle sizes between 0.1 and 1 mm)
and a coarse mode (particle diameters between 20 and

100 mm) become apparent. There remain large uncer-
tainties in in situ dust particle size distributions and
concentrations measured from an aircraft, because of
uncontrolled particle losses in the inlet. Therefore, an
understanding of dust particle spectra mainly stems
from ground-based measurements.

Near the source regions, dust concentrations could
be as high as a few thousand particles per cubic
centimeter during the dust storm. Gravitational set-
tling and rainout are major removal processes affect-
ing dust concentration and particle spectra during
long-range transport. Other important processes,
shaping particle spectra and composition, are hetero-
geneous chemistry on dust particle surfaces, cloud
processing of dust particles, and interactions with
other atmospheric aerosols.All these processes control
the lifetime (or residence time) of dust particles in the
atmosphere which is up to 2 weeks. During this time
period, dust can be carried great distances up to a few
thousand kilometers, affecting large regions. Fre-
quently, Saharan dust plumes reach the Caribbean,
the Gulf of Mexico, and the south-east coast of the
United States, while Asian dust can be transported as
far as the west coast of the United States. It is believed
that long-transported dust particles are mainly in the
size range from about 0.05 to 10mm, although coarse
particles of 100 mm diameter have been measured at
distances of several thousand kilometers from the dust
source.

Individual particle analysis reveals that dust par-
ticles often occur as irregular (nonspherical) aggre-
gates of minerals as well as other species. Yet no
systematic studies of the shapes and sizes of dust
particles have been performed so far. As a result, a
simplified assumption that dust particles are spherical
is often made.

The abundance, composition, and morphology of
dust particles determine their optical properties and
hence radiative effects in the atmosphere. Dust parti-
cles can scatter and absorb electromagnetic radiation
in a wide range of wavelengths from ultraviolet (UV)
to infrared (IR). To model dust radiative impacts, one
needs to know optical properties of dust such as the
optical depth, single scattering albedo, and scattering
phase function. These characteristics are also func-
tions of the location, time, altitude, and wavelength.

The optical depth of dust plumes is largest near the
source and it decreases farther from the source being
controlled largely by particle concentrations. Over the
oceans, the highest optical depths are likely to occur in
regions influenced by dust transport. At visible wave-
lengths, optical depths as high as 10 have been
measured during dust storms. It has a weak depend-
ence on the wavelengths in the visible region, but
various spectral features occur in the IR.Observations
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of the optical depth in the IR window region suggest
that it is about 2–10 times smaller than the visible
optical depth.

In turn, the single scattering albedo,which is defined
as the ratio of scattering and extinction coefficients,
does not depend on particle concentrations but rather
on the particle composition, state ofmixing, and sizes.
It is a key optical characteristic for calculating the
heating or cooling effects of aerosols. Based primarily
on modeling, it is believed that the single scattering
albedo of dust is in the range from 0.65 to 0.95 at the
solar wavelengths and is characterized by strong
wavelength dependence, increasing from UV to near-
IR. This remains poorly constrained because of
numerous deficiencies found in different techniques
used to measure light scattering and light absorption
by dust particles in the atmosphere. In addition, the
single scattering albedo may vary during transport
depending on which species aggregate with dust
particles. It has been demonstrated that dust particles
internally mixed with other atmospheric species can
have drastically different properties from those that
are evident at the dust source.

Although the scattering phase function of dust
particles is crucial for remote sensing applications,
there are only a few actual measurements. Therefore,
this and other optical characteristics of dust are
calculated by applying Mie theory for a selected size
distribution and spectrum of the refractive index. No
models have been proposed so far to link the optical
properties of dust to its life cycle.

Spatial and Temporal Variations of
Dust Burden in the Atmosphere

Both observations andmodel simulations indicate that
dust burden has a complex spatial (horizontal and
vertical) and temporal pattern. The dust burden is
shaped by the source strength, dust production mech-
anisms, dust removal processes, and transport in the
atmosphere.

First of all, initial dust emission has complex spatial
and temporal variations because dust sources have a
dispersed geographical distribution and their
strengths vary with time. The duration of dust storms
is typically a few days having pulses of strong winds of
several hours.The variability of atmospheric transport
and size- and composition-dependent removal proc-
esses further contribute to the heterogeneous distri-
bution of dust.

It has been demonstrated that dust transport exhib-
its substantial seasonal and interannual variability
that is mainly controlled by changes in both the
atmospheric circulation and the hydrological cycle

over a given geographical region. For instance, the
interannual variability of Asian dust is likely to be
linked with shifts in circumpolar vortex dynamics. In
addition, precipitation, which is highly variable from
year to year, may affect the atmospheric dust cycle
through both a change in soilmoisture andbywashout
during transport.

Despite the varying frequencies and strengths of
dust storms, they do occur each year. Also some
seasonal transport patterns are repeatable fromyear to
year. For instance, the transport of Saharan dust shifts
northward from about 51 N during winter to about
201 N during summer. Asian dust outbreaks reach
their maximum in spring.

Much of our understanding of the large-scale
features of dust transport is derived from satellite
imagery. Dust plumes are readily observed in UV,
visible, and IR channels of satellite sensors. This
provides a unique tool to characterize the areal
distribution of dust on a global scale. Figure 1 shows
the global distribution of UV-absorbing aerosols (such
as dust and carbonaceous particles) observed by the
satellite Total Ozone Mapping Spectrometer (TOMS)
during April 1998. The large dust plumes covering
North Africa and the tropical Atlantic Ocean are
clearly seen.

Although limited, aircraft and lidar measurements
reveal that dust plumes have a complex multilayered
structure. For instance, transport of Saharan dust
occurs at higher altitudes in a layer that typically
reaches 5–6 km, although one or several layers might
be present below it. Concentrations aloft are usually
several times greater than in the marine boundary
layer. Dust layers are often intermixed with layers of
other aerosols or clouds. The combination of a lidar
systemplanned to fly in 2003 on theCALIPSOmission
and new multispectral passive sensors on EOS-Terra
and EOS-Aqua satellites has the potential to detect the
presence of layers of dust and other aerosols in the
atmosphere together with their specific properties and
their interaction with cloud layers.

Dust Effects

Mineral particles, by virtue of their chemical, physical,
and optical properties, cause the various impacts upon
the atmosphere and overall climate system. Table 1
lists the major effects of dust in the atmosphere and
their importance grouped into two broad categories:
direct and indirect radiative effects. They may all
result in alteration of the Earth’s energy balance and
thus influence the climate.

The direct radiative effects are caused by the interac-
tion of dust particles with atmospheric electromagnetic
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Figure 1 Global distribution of UV-absorbing aerosols observed by the satellite TOMS during April 1998.

Table 1 Major effects caused by the presence of dust in the atmosphere

Impact Importance

Direct radiative effects

Causes the radiative forcing at the top of the atmosphere (solar

plus IR)

Affects energy balance of Earth’s climate system

Causes radiative forcing at the surface (solar plus IR) Affects surface temperature and surface–air exchange

processes

Causes radiative heating/cooling within a dust layer

(solar plus IR)

Affects temperature profile and atmospheric dynamics

Affects visibility Decreases visibility

Indirect radiative effects

Impacts on clouds
Serves as ice nuclei
Serves as cloud condensation nuclei

�
Affects the properties, amount, and distribution of water and ice

clouds and hence the Earth’s radiation balance and

hydrological cycle

Impact on atmospheric composition and chemistry

Alters actinic flux (UV) Affects photolysis rates and photochemistry and hence

radiative transfer processes in the atmosphere
Adsorbs chemically important gases
Provides particle surfaces for heterogeneous chemical reactions

�
Affects the partitioning of semivolatile trace species

(such as nitric acid and ammonia); alters the abundance of

radiatively important gaseous species
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radiation via scattering, absorption, and emission. In
contrast to greenhouse gases, dust may cause either a
positive or negative total (solar plus infrared) radiative
forcing, depending on its optical properties and
distribution in the atmosphere as well as atmospheric
conditions and surface reflectance. The radiative
forcing and heating/cooling rates of dust may be of
different signs in the solar and infrared regions. A dust
layer is likely to heat itself but may cause an overall
cooling over dark surfaces. Models predict that direct
radiative forcings at the top of the atmosphere and at
the surface have a complex geographical distribution
because dust sources and sinks are not uniformly
distributed and because of the short lifetime ofmineral
particles in the atmosphere. Thus, the presence of dust
may enhance greenhouse gaswarming in some regions
and oppose it in others.

Dust particles can also affect Earth’s radiation
balance indirectly by altering the properties, amount,
and distribution of clouds as well as by affecting the
radiatively important gases through physicochemical
processes. These are termed indirect radiative effects.

Observations reveal that dust particles may serve as
cloud condensation nuclei for both water and ice
clouds.The condensationproperties of these nuclei are
likely to be controlled by hygroscopicity and surface
properties of dust particles. Currently, mechanisms of
dust–cloud interactions are not well understood.

Although poorly quantified, several mechanisms
governing dust–chemistry interactions have been
identified. By altering UV radiation, the presence of
dust affects photolysis rates and hence the photo-
chemical formation of such a radiatively important
species as ozone. In addition, dust particles have a high
surface area per unit mass which makes them an ideal
site for heterogeneous chemical reactions. Some
atmospheric gases (e.g., nitric acid) can directly
condense on dust particles. Thesemechanisms provide
a plausible explanation of the elevated sulfate and
nitrate levels associatedwith dust particles which have
been observed over both the Pacific Ocean and
Atlantic Ocean. However, the quantitative inter-
pretation of these observations remains highly un-
certain mainly because the heterogeneous chemical
reactions and adsorption processes on the surfaces of
dust particles dispersed in the atmosphere have
not been studied until recently. Models indicate
that dust-induced changes in atmospheric chem-
istry strongly depend on dust particle composition
and sizes, concentrations of gaseous species, and
ambient conditions (e.g., temperature and relative
humidity).

Although beyond the scope of this article, it is
important to point out that dust has other important
diverse impacts. For example, they pose a health
threat, affect biogeochemical processes in the oceans,
affect terrestrial ecosystems, cause property damage,
affect agricultural production, etc. Large uncertainties
in the chemical, physical, and radiative properties of
dust render quantitative assessments of its effects
problematic.

See also

Aerosols: Climatology of Tropospheric Aerosols; Obser-
vations and Measurements; Physics and Chemistry of
Aerosols; Role in Radiative Transfer. Chemistry of the
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Introduction

Dynamic meteorology is the branch of fluid dynamics
concerned with the meteorologically significant
motions of the atmosphere. It forms the primary
scientific basis forweather and climate prediction, and
thus plays a primary role in the atmospheric sciences.
Most of the meteorologically important motions
studied in dynamic meteorology are profoundly
influenced by the facts that the Earth is a rapidly
rotating planet, and that the atmosphere on average
has stable density stratification. These facts make
the fluid dynamics of the atmosphere very different
from traditional engineering fluid dynamics. Planetary
rotation places strong constraints on large-scale
horizontal motions; stable stratification places
strong constraints on vertical motions. These
constraints can be understood by considering the
fundamental physical laws governing motions of the
atmosphere.

The motions of the atmosphere are governed by the
laws for conservation of mass, conservation of mo-
mentum, and conservation of thermodynamic energy.
Application of these laws to motions with horizontal
scales of several hundred kilometers or greater leads to
simple relations among the horizontal wind, pressure,
and temperature distributions. These relations form a
set of diagnostic relations essential for understanding
the motions that generate weather disturbances. Such
motions are generally rotational in character. They
can be characterized by a conservable property
known as the potential vorticity, which is the fluid
dynamical analogue of spin angular momentum in
solid mechanics.

The latitudinal gradient of potential vorticity pro-
vides the mechanism for generation of global-scale
planetary waves, which are primary features of the
climate system. Superposed on these global waves are
transient cyclones and anticyclones, whose energy is
derived primarily from the potential energy associated
with the mean Pole-to-Equator temperature gradient.
Study of the development and evolution of transient
weather disturbances, and of dynamical mechanisms
for producing intraseasonal and interannual climate
variations, are among the principal areas of study in
dynamic meteorology.

The Static Atmosphere

The vertical distribution of pressure, density and
temperature is determined by the hydrostatic approx-
imation and the ideal gas law. The hydrostatic
approximation, which is derived from the vertical
component of the momentum equation (Newton’s
second law of motion), expresses the balance between
the vertical component of the pressure gradient force
and the force of gravity. The ideal gas law, or equation
of state, expresses the relationship between pressure,
density, and temperature in an ideal gas. These two
equations may be combined to form the hyposometric
equation, which determines the thickness of the layer
of temperature T confined between the two pressure
surfaces p2 and p1:

F2 � F1 ¼ gðZ2 � Z1Þ ¼ R

Z p1

p2

T d ln p ½1�

whereF is the geopotential,Z is geopotential height,T
is the absolute temperature, R ð¼ 287 J kg�1 K�1Þ is
the gas constant for dry air, and g ð¼ 9:81m s�2Þ is the
acceleration due to gravity. The hypsometric equation
shows that atmospheric pressure decreases more
rapidly in cold air than in warm air. Thus the average
altitude of a given upper-level pressure surface
(e.g., the 500 hPa surface) decreases towards higher
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latitudes owing to the decrease of mean temperature
with latitude.

Hydrostatic balance requires that pressure decrease
monotonicallywith height in the atmosphere. Pressure
may thus be substituted for height as a vertical
coordinate; this has the advantages of eliminating
explicit reference to the density field in the equations of
motion; but it has the disadvantage that pressure
varies exponentially with altitude so that equal
altitude increments correspond to rapidly decreasing
pressure increments as height increases. For this
reason, in dynamical meteorology it is often useful to
use log-pressure coordinates in which the independent
vertical coordinate z is defined by

z ¼ �H ln ðp=p0Þ ½2�
where H ¼ RT0=g is an atmospheric scale-height,
p0 ¼ 103 hPa (1000 mbar), and T0 is a mean temper-
ature. Comparing with eqn [1], it is clear that the log-
pressure coordinate corresponds to actual height for
an isothermal atmosphere at temperature T0. Under
most conditions the departure of z from actual altitude
is small enough to be neglected.

In the absence of precipitation, changes in temper-
ature following the motion of individual parcels of air
are controlled primarily by adiabatic expansion and
compression as the air parcels move to lower or higher
pressure. The thermodynamic state of such parcels can
be characterized by the potential temperature, y.
Potential temperature is the temperature that a parcel
of dry air initially at a pressure p and temperature T
would acquire if it were moved adiabatically to the
reference pressure p0. It is defined by the following
relation, which can be obtained from the first law of
thermodynamics:

y ¼ Tðp0=pÞR=cp ½3�
where cp ð¼ 1004 J kg�1 K�1Þ is the specific heat
capacity of dry air at constant pressure. Normally,
surfaces of constant potential temperature in the
atmosphere are quasi-horizontal with potential tem-
perature increasingwith altitude.Air parcels displaced
vertically conserving potential temperature are then
colder and denser than their surroundings for an
upward displacement, and vice versa for a downward
displacement. The atmosphere is then said to be
statically stable. When diabatic heat sources (such as
latent heating and radiation) are neglected, y remains
constant in time for each air parcel; thus potential
temperature is conserved following the motion. Air
parcels are then constrained to remain on surfaces of
constant y,which are referred to as isentropic surfaces.
In a statically stable atmosphere, potential tempera-
ture can be used as the independent vertical coordi-

nate. This isentropic coordinate system is useful
for analysis of adiabatic motions, since the pre-
diction of atmospheric motions for such conditions
is reduced from a three-dimensional problem to a two-
dimensional problem on each isentropic coordinate
surface. Because diabatic temperature changes asso-
ciated with large-scale weather disturbances in the
extratropics are often much smaller than adiabatic
changes, isentropic analysis has proved valuable
for the study of air motions associated with such
disturbances.

The Equations of Motion

It is convenient to express the basic equations of
dynamic meteorology in a coordinate system rotating
with the Earth, and with the log-pressure altitude
defined by eqn [2] as the independent vertical coordi-
nate. The approximate conservation equations for
horizontal momentum, mass, and thermodynamic
energy are then as follows:

DV

Dt
¼ �fk�V�rFþ Fr ½4�

r .Vþ 1

r0

q
qz

ðr0wÞ ¼ 0 ½5�

DT

Dt
þwN2H

R
¼ J

cp
½6�

Here, t is time, V is the horizontal velocity, r is the
horizontal gradient evaluated at constant log-pres-
sure, F is the geopotential, w � Dz=Dt, is the vertical
velocity, f ¼ 2O sin f is the Coriolis parameter
(where O ¼ 7:292� 10�5 s�1 is the angular velocity
of rotation of the Earth and f is latitude), k is the
vertical unit vector, Fr is the drag due to small-scale
turbulent fluctuations, r0 � rs exp ð�z=HÞ is the basic
state density (where rs is density at the surface,H is the
scale height defined below eqn [2], J is the diabatic
heating rate, and N is the buoyancy frequency whose
square is defined in terms of the height dependence of
potential temperature as N2 ¼ gðq ln y=qzÞ.

In eqns [4] and [6], D=Dt is the rate of change
following the horizontal motion of a fluid parcel. This
can be related to the rate of change at a given point in
space by the expression:

D

Dt
� q

qt
þ V .r

� �
½7�

The momentum eqn [4] states that a change in the
horizontal velocity following the motion of an air
parcel is caused by the net imbalance among three

674 DYNAMIC METEOROLOGY / Overview



forces: the Coriolis force caused by the rotation of the
Earth, the horizontal pressure gradient force (given by
the gradient of geopotential on a constant pressure
surface) and the force due to turbulent dissipation
(important mainly near the surface of the Earth). The
equation of mass continuity [5] states that the diver-
gence of the horizontal velocity, which tends to
increase or decrease the horizontal cross-section of a
fluid parcel, must be balanced by vertical motion,
which increases or decreases the depth of the parcel.
The thermodynamic energy eqn [6] states that the rate
of change of temperature following the horizontal
motion is due to the sum of the adiabatic expansion or
compression due to vertical motion, plus the net
diabatic heating by sources such as latent heat release
and solar or thermal radiative heating.

Balanced Flow

When diabatic heating and turbulent dissipation are
sufficiently small, eqns [4]–[6], together with the
differential form of the hyposometric eqn [1] and
suitable initial and boundary conditions, forma closed
set for prediction of the meteorological fields V,w, F,
and T. Solutions of this complicated set of nonlinear
partial differential equations can usually only be
obtained by numerical methods. There are, however,
certain approximate solutions that provide useful
information on the relations among these field varia-
bles for large-scale atmospheric flows in the extra-
tropical regions.

When turbulent dissipation is small, which is
generally true above the lowest kilometer of the
atmosphere, large-scale extratropical motions are
approximately in geostrophic balance, that is, the
horizontal pressure gradient force and the Coriolis
force are nearly equal and opposite. The wind velocity
for which this balance is exact is referred to as the
geostrophic wind, Vg. It is derived from eqn [4] with
the acceleration and turbulent dissipation terms
neglected:

fVg ¼ k�=F ½8�

This states that the geostrophicwind is parallel to lines
of constant geopotential (or constant height) on a
pressure surface, with speed proportional to the
magnitude of the geopotential gradient on the pressure
surface. As illustrated in Figure 1, the Coriolis force
acts perpendicular to thewind direction (to the right of
the wind in the Northern Hemisphere), while the
pressure gradient force is directed opposite to the
Coriolis force. Thus, the geostrophic circulation about
the center of a low-pressure system in the Northern
Hemisphere will be a counterclockwise circulation.

Equation [8] may be combined with eqn [1] to give
the thermal wind relation:

f ½Vgðp2Þ � Vgðp1Þ� ¼ R

Z p1

p2

ðk�=TÞd ln p ½9�

This relation, which is a consequence of geostrophic
and hydrostatic balance, states that the vector differ-
ence in the geostrophic wind velocity between two
pressure surfaces is proportional to the horizontal
gradient of the mean temperature in the layer between
the two surfaces. Since large-scale extratropical mo-
tions are in hydrostatic balance and are nearly
geostrophic, eqn [9] shows that the wind and temper-
ature fields are closely coupled. Because temperature
in the extratropical lower atmosphere generally de-
creases with latitude, the thermal wind relation
indicates that the eastward-directed geostrophic
wind increases with altitude and that the strongest
upper-level winds will occur where that latitudinal
temperature gradient is the strongest.

Planetary Boundary Layer

In the lowest kilometer of the atmosphere,momentum
transfer by small-scale turbulent eddies becomes an
important component in the momentum balance so
that the geostrophic approximation is no longer valid.
The structure of this boundary layer depends strongly
on the vertical stratification in the layer. In regions of
strong vertical stability (where potential temperature
increases rapidly with height) turbulence is generally
weak, except in the lowest few meters above the
surface where strong vertical shear of the wind
provides a mechanical source for turbulent eddies.
Under conditions of strong surface heating, on the
other hand, the boundary layer may be convectively

P

Φ−�Φ

Φ

Co

Vg

Figure 1 Horizontal plan view of balance of forces for the

geostrophicwind,Vg .P designates the pressure gradient force,Co

designates the Coriolis forces, and F and F� dF are contours of

constant geopotential on an isobaric surface.

DYNAMIC METEOROLOGY / Overview 675



unstable (potential temperature decreasing with
height) and strong turbulent eddies may extend
throughout the lowest kilometer of the atmosphere.
Over vast areas of the Earth’s surface, however, the
boundary layer is often near neutral static stability
(potential temperature constant with height). Al-
though accurate representation of the force exerted
by turbulent eddies in eqn [4] is a challenging fluid
dynamical problem, it is useful as a first approxima-
tion to simply assume that turbulent eddies exert a
drag on the winds so that Fr ¼ �kV, where k is a rate
coefficient typically taken to be about 10� 5 s� 1.

The force balance in the boundary layer is then a
three-way balance among the Coriolis force, the
pressure gradient force, and the turbulent drag force.
This balance is illustrated schematically in Figure 2.
Since the Coriolis force always acts perpendicularly to
the wind and the turbulent drag acts in the opposite
direction to the wind, a force balance can be achieved
only if the wind has a component directed across the
isobars towards lower pressure. The component
produces net boundary layer inflow into surface low-
pressure systems, which by transporting mass to-
wards the pressure minimum acts to ‘spin down’ the
circulation.

Vorticity and Potential Vorticity

Because extratropical flowabove the boundary layer is
approximately in geostrophic balance, and thus tends
to be parallel to height contours on pressure surfaces,
the flow is characterized by cyclonic and anticyclonic
gyres associated with height (or pressure) minima and
maxima, respectively. Thus, the large-scale flow is
dominated by a rotational flow component, which is
conveniently described in terms of the vorticity
(defined as the curl of the velocity vector). Although
momentum is not conserved for such flows, but is

changed in proportion to the small difference between
the Coriolis force and the pressure gradient force,
there is a dynamical quantity that is conserved
following the motion for adiabatic frictionless flows.
This quantity, which is referred to as potential vorti-
city, is a fluid dynamical analogue of spin angular
momentum in solid body dynamics. In its simplest
form, potential vorticity relates the vertical compo-
nent of vorticity (or spin) of a fluid column confined
between two potential temperature surfaces to the
depth of the column (Figure 3).

Potential vorticity can be expressed mathematically
as

P ¼ ðzþ f Þ 1

r0

qy
qz

½10�

Here, z ¼ k . ðr�VÞ is the vertical component of the
relative vorticity due to the horizontal winds and f is
again the Coriolis parameter, which is the vertical
component of the vorticity owing to the rotation of the
Earth. The sum of the local vertical components of the
relative vorticity and the Earth’s vorticity, zþ f , is
referred to as the absolute vorticity. Equation [10]
states that for a column of fluid confined between two
potential temperature surfaces separated by a fixed
increment of potential temperature dy, the ratio of
absolute vorticity to the depth of the column dz
remains constant. Thus, for example, a column
moving from a region of high static stability (small
dz) to a region of low static stability (large dz) will
stretch vertically, shrink horizontally and spin faster.
Because potential vorticity is conserved following the
motion for adiabatic frictionless flow, the evolution of
the field of potential vorticity on isentropic surfaces
can easily be predicted. The potential vorticity distri-
bution, together with suitable boundary conditions,
can in turn be used to deduce the three-dimensional
distribution of wind and temperature.

P

Fr

Co

V

p − 2�p

p −�p

p

Figure2 Horizontal plan viewof balanceof forces in awell-mixed

planetary boundary layer. V is velocity, P designates the pressure

gradient force,Co designates the Coriolis force, Fr designates the

turbulent drag force, p is pressure, and dp is a constant pressure

interval. (Adapted from Holton JR (1992) Introduction to Dynamic

Meteorology. New York: Academic Press.)

�+��

�

�z

Figure 3 Cylindrical column of air in adiabatic motion from a

region of high static stability to a region of low static stability. The

column is confined between two potential temperature surfaces, y
and yþ dy, which are separated by an altitude increment dz.
(Adapted from Holton JR (1992) Introduction to Dynamic Meteo-

rology. New York: Academic Press.)
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Zonally Symmetric Circulations

In the troposphere, temperature normally decreases
from Equator to Pole owing to the latitudinal gradient
in solar heating. This heating gradient induces an
ageostrophic overturning circulation of air parcels in
the meridional (height–latitude) plane. The overturn-
ing consists of rising motion in association with
convective disturbances in the tropics, poleward drift
in the upper troposphere, slow sinking in the extra-
tropics and an equatorward drift in the planetary
boundary layer. This zonally symmetric parcel circu-
lation is important for transport of water vapor,
momentum, and heat across latitude circles, but
represents only a small deviation from the generally
west-to-east directed (zonal) winds.

Because the Equator-to-Pole temperature decrease
does not occur uniformly but tends to be concentrated
in the subtropics, the zonal winds are also concentrat-
ed in the jet stream, a narrow band of strong westerly
winds in the upper troposphere that encircles the Earth
at an average latitude of about 301. The association of
the jet stream with a strong meridional temperature
gradient is a consequence of the thermal wind
relationship (eqn [9]), which states that eastward-
directed winds must increase rapidly with height
where the temperature decreases rapidly in latitude.

The concentration of the meridional temperature
gradient (and potential vorticity gradient) in the
subtropical jet stream cannot be understood by
considering the zonally symmetric circulation forced
by solar heating, but rather represents a complex
interaction between the symmetric circulation and the
disturbances that characterize weather and climate.
Thus, the study of atmospheric wave disturbances is
one of the primary areas of dynamic meteorology.

Atmospheric Waves

Waves in the atmosphere aremotions that can transmit
energy and momentum without material transport of
air parcels. Most weather disturbances are associated
with one or more types of atmospheric wave. Atmos-
pheric waves result from a balance between the inertia
of the atmosphere and a restoring force. In acoustic
waves, for example, oscillations in the pressure gra-
dient force are balanced by parcel accelerations along
the direction of phase propagation. Such waves are
longitudinal waves in the sense that the fluid parcel
oscillations are parallel to the direction of propaga-
tion. Most meteorologically important waves, how-
ever, are transverse waves in which the parcel
oscillations are perpendicular to the direction of phase
propagation. Examples of such waves are buoyancy
waves, inertia waves, and Rossby waves.

Buoyancy Waves

The vertical stratification of the atmosphere causes a
fluid parcel that is displaced vertically to experience a
restoring force due to its buoyancy; the resulting
coherent oscillations in the pressure, temperature, and
wind fields is called a buoyancywave, or gravity wave.
The structure of an eastward-propagating buoyancy
wave, excited from below, is shown in Figure 4. Phase
lines, defining themaxima in the perturbation pressure
and temperature fields, tilt towards the east with
height, and propagate eastwards and downwards in
time. However, the flux of energy (measured by the
correlation between the pressure and vertical velocity
perturbations) is directed upwards, parallel to the lines
of constant phase. There is also an upward flux of
eastwardmomentum in this case since positive vertical
perturbations are in phase with eastward horizontal
velocity perturbations, and vice versa. Thus, buoyancy
waves provide an important mechanism for vertical
transport of momentum in the atmosphere.

The frequency, o, of a buoyancy wave is related to
the angle, a, of the phase lines to the local vertical by
the formula o ¼ N cos a, where N is again the
buoyancy frequency. Thus, high-frequency buoyancy
waves have energy propagation that is closer to the
vertical than do low-frequency buoyancy waves. An
important special case of buoyancy waves are lee
waves formed when air in a stable atmosphere is
forced to ascend over a mountain barrier. Oscillations
that are induced by the forced uplift may continue
several wavelengths downstream of the mountain.
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Warm

Warm
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Figure 4 Cross-section showing phases of the pressure, tem-

perature, and velocity perturbations for an internal gravity wave.

Thin arrows indicate the perturbation velocity field, blunt solid

arrows the phase velocity. Shading shows region of upward

motion.
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When sufficientmoisture is present, condensationmay
occur in the updraft portions of the waves, leading to
regularly spaced bands of cloud in the lee of the
mountain. In this case the waves are stationary with
respect to the ground but propagate relative to an
observer moving with the mean wind.

Rossby Waves

The most important class of large-scale atmospheric
waves are called planetary waves, or Rossby waves.
These waves are characterized by oscillations in the
rotational part of the horizontal wind that are parallel
to the horizontal gradient in the potential vorticity.
The simplest example of a Rossby wave occurs in a
barotropic atmosphere. A barotropic atmosphere is
one inwhich potential temperature is constant on each
pressure surface so that qy=qz in eqn [10] is independ-
ent of horizontal position. Potential vorticity conser-
vation then reduces to conservation of absolute
vorticity following the motion:

D

Dt
ðzþ f Þ ¼ 0 ½11�

Themechanism of Rossbywave propagation can be
understood by considering a tube of fluid parcels that
at time t0 is motionless and lies parallel to a latitude
circle. In that case zðx; t0Þ ¼ 0. If the tube is given a
small sinusoidal meridional displacement Zðx; t0Þ at
the initial time, then from eqn [11] at a later time t1 the
relative vorticity will be given by:

zðx; t1Þ ¼ ft1 � ft0 ¼ �bZðx; t1Þ ½12�
where b � df=dy, the rate of increase of the Coriolis
parameterwith latitude. Sinceb is positive, it is evident
from eqn [12] that the relative vorticity perturbation
will be positive for a southward displacement and
negative for a northward displacement. Since positive
relative vorticity corresponds to a counterclockwise
rotation and negative relative vorticity corresponds to
a clockwise rotation, the induced perturbation veloc-
ities will tend to produce meridional displacement of
the tube of fluid parcels to the west of the original
displacement, as illustrated in Figure 5. By this
mechanism, the originally wavy displacement propa-
gates westwards, perpendicular to the north–south
displacement of the fluid parcels.

Quantitative analysis of the relationship of thewave
frequency to the horizontal scale reveals that Rossby
waves are highly dispersive (i.e., their phase speeds are
strongly dependent on the wavelength). In Cartesian
coordinates the zonal (eastward) phase speed relative
to the ground has the form:

cx ¼ �UU � bðL2
x þ L2

yÞ=ð4p2Þ ½13�

Here �UU is the mean eastward wind, Lx is the zonal
wavelength and Ly is the meridional wavelength.
Thus, Rossby waves propagate westwards relative to
the mean windwith phase speeds that increase rapidly
as the wavelength increases. For waves corresponding
to typical extratropical storms with wavelengths of a
few thousand kilometers, the Rossby wave phase
speed is typically less than 10m s� 1, which is less than
the mean wind speed. Thus, relative to the ground,
such disturbances tend to move eastwards, but more
slowly than the average eastward wind speed.

Equation [13] also shows that Rossby waves that
are stationary relative to the ground (cx ¼ 0) can exist
only when the mean zonal flow is positive (i.e.,
eastwards). Stationary Rossby waves are excited in
midlatitudes when westerly winds encounter large-
scale mountain barriers and are displaced meridio-
nally during ascent over the barrier. This process is a
primary reason why large-scale stationary cyclonic
disturbances are commonly observed to the lee of the
Rocky and the Himalayan mountain ranges.

Baroclinic Waves

Barotropic Rossby waves are generated by conversion
of the kinetic energy of the zonal flow into kinetic
energy of the waves. They do not involve any
conversion of potential energy to kinetic energy.
Such energy conversion can occur only in the presence
of baroclinicity, that is, variations of potential tem-
perature on isobaric surfaces. Baroclinic energy con-
version is responsible for the growth andmaintenance
of most large-scale weather disturbances.

−

+

Ω

Figure 5 Perturbation vorticity field (1 and � ) and induced

velocity field (dashed arrows) for a meridionally displaced tube of

fluid parcels, showing the mechanism for Rossby wave propaga-

tion. Heavy wavy line shows initial perturbation of the tube, light

wavy line shows westward displacement of the wave perturbation

due to advection by the induced velocity field. (From Holton JR

(1992) Introduction to DynamicMeteorology. NewYork: Academic

Press.)
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When the latitudinal gradient of the zonal wind in
the jet stream is sufficiently strong that the meridional
gradient of potential vorticity on a constant potential
temperature surface is locally reversed, or when there
is a nonvanishing gradient of potential temperature at
the surface of the Earth, the equations of motion
linearized about a zonally symmetric basic state have
solutions in the form of exponentially growing wave
disturbances. These baroclinically unstable waves
have growth rates, structure, and scales typical of
those observed in developing extratropical cyclones.
They are quasi-geostrophic in the sense that the
geostropically balanced rotational component of the
wind field strongly dominates over the ageostrophic
divergent component. The latter is, however, crucial in
the energy cycle by which the waves convert potential
energy associated with the Pole-to-Equator tempera-
ture gradient into disturbance kinetic energy.

Baroclinic instability provides a mode whereby
infinitesimal disturbances may be amplified into
large-amplitude storms. In many situations, however,
it appears that weather disturbances may develop
rapidly from preexisting upper-level potential vorti-
city anomalies in the absence of baroclinic instability.
As in baroclinic instability, the growth of storms from
upper-level potential vorticity anomalies is associated
with conversion of potential energy to kinetic energy
in association with the ageostrophic secondary
flow induced by adjustments towards thermal wind
balance.

Equatorial Waves

In the equatorial region there is a special class of
weather-producing waves that combine some of the
characteristics of gravity waves and of Rossby waves.
Equatorial waves are trapped in latitude, that is, they
propagate along the Equatorwith amplitudes decreas-
ingwith latitude. In some circumstances theymay also
propagate energy and momentum vertically. Two
important examples of equatorial waves are the
equatorial Kelvin wave and the Rossby-gravity
wave. TheKelvinwave has pressure and zonal velocity
perturbations symmetric about the Equator, and
negligible meridional velocity component. It propa-
gates eastwards, with vertical structure identical to
the eastward-propagating buoyancy wave shown in
Figure 4, and is an important source of eastward
momentum for the equatorial stratosphere.

Rossby-gravity waves are waves that combine
characteristics of Rossby waves and gravity waves.
They have meridional wind distributions symmetric
about the Equator and zonal wind and pressure
distributions antisymmetric about the Equator. Away

from the Equator the wind and pressure distributions
in theRossby-gravitywave are nearly geostrophic, but
near the Equator there are strong departures from
geostrophic balance. Rossby-gravity waves propagate
westwards relative to the mean flow. They are asso-
ciated with equatorial weather disturbances, and are
also a significant source of westward momentum for
the equatorial stratosphere.

Mesoscale Disturbances

If an air parcel is saturated, upward displacement will
cause water vapor to condense and release its latent
heat of condensation; potential temperature is then no
longer conserved, but increases following the parcel
motion. If this increase is greater than the potential
temperature gradient of the background atmosphere,
the atmosphere is said to be conditionally unstable.
That is, it is stable with respect to unsaturated parcel
displacement but unstable with respect to saturated
parcel displacements. The convective storms associat-
edwith cumulonimbus clouds canoccuronlywhen the
atmosphere is conditionally unstable, sufficient mois-
ture is present, and sufficient lifting occurs to bring air
parcels to saturation. The processes that organize
convection into mesoscale convective systems are not
completely understood.Mesoscale convective systems
take a variety of forms. Among these are hurricanes,
squall lines, and supercell thunderstorms. In all cases
the release of latent heat by convective clouds is the
primary energy source, but the character of the large-
scale environmental flow is generally important for
determining the mode of organization for mesoscale
systems.

See also

Baroclinic Instability. Coriolis Force. Cyclogenesis.
Dynamic Meteorology: Waves. Middle Atmosphere:
Gravity Waves. Rossby Waves. Stationary Waves
(Orographic and Thermally Forced). Vorticity. Wave
Mean-Flow Interaction.
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Balanced Flow
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The concept of ‘balanced’ flow is the counterpart, in
atmosphere–ocean dynamics, of the well-known
concept of ‘nearly incompressible’ or ‘effectively
incompressible’ flow in classical aerodynamics. In
aerodynamics, a key aspect of such flow – long
recognized as central to understanding the behavior
of subsonic aircraft – is that all the significant
dynamical information is contained in the three-
dimensional vorticity field. This means that the flow
has, in effect, fewer degrees of freedom than a fully
general flow. More precisely, it means that freely
propagating soundwaves contribute only negligibly to
the motion.

In atmosphere–ocean dynamics there is a corre-
sponding statement with ‘vorticity’ replaced by
‘potential vorticity’, understood in a suitably general
sense. The statement applies to a vast set of cases of
rotating, stably stratified fluid flow, for parameter
values typical of the atmosphere and oceans. It
provides an important key to understanding many of
these cases. If the flow can be considered balanced,
then all the significant dynamical information is
contained in the potential vorticity field, in the
generalized sense. One may ‘invert’ the potential
vorticity field at each instant to obtain the mass and
velocity fields. (For a more precise statement, see
Dynamic Meteorology: Potential Vorticity). Again
this means that the flow has, in effect, fewer degrees of
freedom than a fully general flow. More precisely,
balance and invertibility mean that not only sound
waves but also freely propagating inertia–gravity
waves contribute only negligibly to the motion. Thus
balanced flows can be much simpler to understand
than fully general flows.

Cases of fluid flow describable as balanced come
under headings such as ‘Rossby waves’, ‘Rossby wave
breaking’, ‘vortex dynamics’, ‘vortical modes’, ‘vor-
tical flow’, ‘vortex coherence’, ‘blocking’, ‘eddy
transport barriers’, ‘cyclogenesis’, ‘baroclinic and
barotropic instability’, and other shear instabilities,
all of which are related to the fundamental Rossby
wave restoring mechanism or ‘quasi-elasticity’ that
exists whenever there are isentropic gradients of
potential vorticity in the interior of the flow domain,
or gradients of potential temperature at an upper or
lower boundary. The concept of balanced flow also
enters into the theory of wave–mean interaction, in
which the mean flow is often considered to be

balanced, regardless of the wave types involved. The
theory of wave–mean interaction is fundamental in
turn to understanding the ‘gyroscopic pumping’ that
drives global-scale stratospheric circulations and
chemical transports. Indeed, the concept of balanced
flow enters, implicitly or explicitly, into almost any
discussion of meteorologically interesting fluid phe-
nomena, all the way from regional pollutant transport
to planetary-scale teleconnections mediated by
Rossby wave propagation.

Balanced flow has analogues in simple mechanical
systems such as the ‘springy pendulum’ composed of a
massive bob suspended from a pivot by a stiff elastic
spring. Such a pendulum has slow, swinging modes of
oscillation in which the relatively fast, compressional
modes of the bob and spring are hardly excited: they
contribute negligibly to the motion if the spring is stiff
enough. The slow, swinging modes correspond to
balanced flow, and the fast, compressional modes to
sound and inertia–gravity waves. One may describe
the swinging modes to a crude first approximation by
setting the length of the spring equal to a constant – a
‘rigid-pendulum approximation’. There is a hierarchy
of more accurate approximations that allow the
spring to change its length in a quasi-static way.
In a finite amplitude, two-dimensional swinging
oscillation, the spring is longest when the bob is
lowest and shortest when the bob is highest. Such
approximations and their ultimate limitations can be
studied mathematically via techniques ranging all the
way from two-timing formalisms (method of multiple
scales) to bounded derivative theory and KAM
(Kolmogorov–Arnol’d–Moser) theory and other
dynamical systems techniques; there is an enormous
literature.

A quasi-static description may approximate
the pendulum motion with remarkable accuracy; the
error may become exponentially small, or even zero in
some cases, as the fast–slow time scale separation
increases. The key point, though, is that in the
quasi-static description the length of the spring evolves
as if it were functionally related to the elevation of the
bob. This can be exploited to simplify both the
mathematical description of the motion and our
conceptual understanding of it. The functional rela-
tion holds at each instant t, i.e., it holds diagnostically.
More precisely, no derivatives or integralswith respect
to t are involved, and values of t do not explicitly
enter into the definition of the functional relation. The
property of being diagnostic, in this sense, is a
crucial part of the mathematical and conceptual
simplification.
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In atmosphere–ocean dynamics the defining prop-
erty of balance is that an analogous functional relation
holds – diagnostic in precisely the same sense. A flow is
said to be balanced if the three-dimensional velocity
field uðx; tÞ is functionally related to the mass field or
mass configuration, i.e., to the spatial distribution of
mass throughout the fluid system, presumed to be
hydrostatically related to the pressure field. (Knowl-
edge of the mass field then implies knowledge of the
temperature and potential temperature fields, hence
quantities such as, for instance, the available potential
energy and the mass under each isentropic surface.)

Such a functional relation between the velocity and
mass fields is called a ‘balance condition’ or ‘balance
relation’. It provides just enough information to make
the potential vorticity field invertible. The property of
being diagnostic means that if one knows the mass
field at some instant t, but knows nothing about its
time dependence, nor the value of t itself, then the
balance relation must nevertheless allow one to
deduce the complete three-dimensional velocity field
u. It must allow the velocity field to be deduced from
the mass field and from the mass field alone.

To the extent that a balance relation holds, it
excludes sound waves and inertia–gravity waves from
the repertoire of possible fluid motions. The system
then has too few degrees of freedom to describe such
waves. This generalizes the familiar statement in
aerodynamics that an incompressibility condition
excludes sound waves. The reduction in degrees of
freedom is sometimes expressed by saying that some
degrees of freedom are ‘slaved’ to others, or that the
evolving states of the dynamical system confine
themselves to a ‘slowmanifold’ in phase space, having
lower dimensionality than the full phase space in
which it is embedded. One might say for instance that
the velocity field is ‘slaved’ to the mass field. A more
careful statement would be that in balanced flows the
mass and velocity fields evolve as if theywere slaved to
each other, to some useful approximation at least. This
is like saying that the two-dimensional swinging
motion of the pendulum evolves as if the length of
the spring and the elevation of the bob were slaved to
each other, to some approximation, even though there
is no actual mechanical linkage between the two
variables.

A standard example of a balance condition or
balance relation is the so-called geostrophic relation,
given by eqn [1], which is simple to write and, for
typical extratropical parameter values, qualitatively
useful though quantitatively not very accurate.

uðx; tÞ ¼ 1

f
� qFðx; tÞ

qy
;
qFðx; tÞ

qx
; 0

� �
½1�

Here f is the Coriolis parameter, Fðx; tÞ is the
geopotential height (approximately geometric altitude
times gravitational acceleration), and three-dimen-
sional position x is specified using pressure altitude.
Thus the horizontal spatial derivatives q=qx and q=qy
are taken at constant pressure altitude rather than at
constant geometric altitude. This qualifies as a balance
relation because of the presumption that the hydro-
static relation also holds, as normally assumed when
using pressure as the vertical coordinate. Knowing F
on each constant pressure (isobaric) surface is then
equivalent to knowing the mass field. So [1] is, as
required, a diagnostic functional relation between the
velocity field and themass field. The vertical derivative
of [1] is the so-called ‘thermal wind equation’.

The horizontal coordinates x, y are local Cartesian
coordinates in a tangent-plane representation. If we
also take f 5 constant, giving us the so-called ‘f -plane
approximation’, then [1] asserts not only that u is
slaved to the mass field, but also that it is two-
dimensionally incompressible or nondivergent, with
streamfunction C ¼ F=f as expressed by eqn [2].

uðx; tÞ ¼ � qC
qy

;
qC
qx

; 0

� �
½2�

The geostrophic relation [1] – or relations, plural, if
one prefers to think in components rather than vectors
– can be motivated as an approximation to the
horizontal momentum equation. The validity of that
approximation depends on smallness of the Rossby
number, or, more precisely, on being able to neglect
relative particle (Lagrangian) accelerations against
Coriolis accelerations, equivalently relative particle
accelerations against f times the right-hand side of eqn
[1]. The Rossby number, measuring the advective
contribution to the relative particle acceleration
against the Coriolis acceleration, is usually of the
same order as f�1 times a typical magnitude of the
relative vertical vorticity qv=qx� qu=qy ¼ r2C if eqn
[2] holds. Here u and v are the horizontal velocity
components corresponding to x and y, and r2 is the
horizontal Laplacian.

The geostrophic relation [1] was historically of
great importance in early attempts to understand the
dynamics of synoptic-scale weather systems. The
history is sometimes discussed under headings such
as ‘Buys Ballot’s law’, ‘cyclonic development theory’,
and ‘quasi-geostrophic evolution’. Buys Ballot’s law is
a surface observer’s counterpart of eqn [1] and was
discovered empirically through early work with
weather maps.

Themodern concept of balance recognizes that, like
the rigid-pendulum approximation, eqn [1] is merely
the lowest in a hierarchy of more accurate balance
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relations. The next member is the relation studied by
B. Bolin and J. G. Charney in the 1950s, in connection
with efforts to develop practical numerical weather
prediction. The Bolin–Charney balance relation
retains [2], even if f varies with latitude, and redefines
C to satisfy eqn [3], where r is horizontally two-
dimensional.

r � ðfrCÞ ¼ r2Fþr � ðu � ruÞ ½3�
Equation [3] is an approximation to the divergence
equation, the latter being the result of taking the
horizontal divergence of the horizontal momentum
equation. The relative particle acceleration is now
retained. Its advective part gives rise to the last term of
[3], while the remaining, q=qt part is annihilated when
the divergence is taken, because of [2]. It is only
because there are no q=qt terms that the relation [3],
with [2], qualifies as a balance relation.

Again because of [2], the right-hand side of [3] can
be rewritten in terms of a Jacobian in u and v, as
r2F� 2qðu; vÞ=qðx; yÞ, or equivalently a Hessian in
C (eqn [4]).

r � ðfrCÞ ¼ r2F� 2
q2C
qx2

q2C
qy2

� q2C
qxqy

 !2
8<
:

9=
; ½4�

Regarded as an equation forCwhen themass fieldF is
given, eqn [4] is not trivial to solve, because of the
nonlinear terms on the right. Iterativemethods need to
be used. The problem of finding C may even become
ill-posed for certain mass fields F, adumbrating, for
one thing, the fact that there exist mass fields that are
not even approximately balanceable by any velocity
field. A simple thought experiment to make this last
point clear would be to pile up thewhole of the Earth’s
atmosphere into a narrow cylinder above the North
Pole, leaving a vacuum elsewhere. It is obvious that no
velocity field u can be in balancewith such amass field.
Regardless of the choice of u, the free evolution at
subsequent times, in any such thought experiment,
would involve sound and inertia–gravity waves of
enormous amplitude. That is, it would involve gross
imbalance.

Balance relations are useful in practice only because
naturally occurring mass fields, or at least smoothed
versions of them are, by contrast, often balanceable to
good approximation, as Buys Ballot’s law reminds us.
In most such cases, eqn [4] with suitable boundary
conditions is a well-posed nonlinear elliptic boundary
value problem in the flow domain, the primary
exception being flows near the Equator, where Rossby
numbers are not small and [4] may fail to be elliptic, as
can be verified from the theory of Monge–Ampère
equations. Again, the failure of ellipticity adumbrates

a physical reality (though not in a way that is
quantitatively precise), namely the fact that balance
is liable to break down through ‘inertial’ and ‘sym-
metric’ instabilities near the equator, where f changes
sign.

Balance relations still more accurate than [4] can be
defined if one is prepared to deal with more
complicated sets of equations. The next relation in
the hierarchy – to be referred to here as the ‘generalized
Bolin–Charney balance relation’ – is the first in the
hierarchy to yield a nonvanishing vertical component
of u. It was implicit in the pioneering work of Charney
published in 1962, in a famous paper entitled
‘Integration of the primitive and balance equations’.
It startswith [2] and [4] but then adds to the resulting u
field a horizontally irrotational correction field gov-
erned by another nonlinear elliptic boundary value
problem in the flow domain, a generalization of the
‘omega equation’ previously developed by N. A.
Phillips and others. The corrected u field is an
asymptotically consistent improvement on [1], for
small Rossby number, in the sense that it is one order
more accurate in powers of the Rossby number. The
boundary value problem is derived by taking q=qt of
[4], then eliminating all the resulting time derivatives
using the exact mass conservation and vorticity
equations and the inverse Laplacian of the vorticity
equation. The vorticity equation expressesr2ðqC=qtÞ
in terms of diagnostically known, or knowable,
quantities such as the corrected u field; so the inverse
Laplacian is needed in order to eliminate qC=qt from
q=qt of [4].

This process of eliminating all the time derivatives
has to be possible, in principle at least, if the end result
is to be a balance relation,which by definitionmay not
contain any time derivatives. When the elimination is
carried out explicitly, a rather complicated set of
integro-differential equations results, containing
Green’s function integrals whose details depend on
the geometry of the flow domain. It may therefore be
computationally more convenient to work with a set
of equations from which qC=qt has not been
eliminated, but has been allowed to remain as an
unknown that can, in principle, be eliminated. Then
‘qC=qt’, in quotes, so to speak,must be regardednot as
the actual rate of change of C but, rather, as an
auxiliary variable – better described as a diagnostic
estimate of the rate of change, whichmust be expected
to differ, in general, from the actual rate of change of
C. To avoid confusion over this point a special
notation is sometimes used, such asC1 for a diagnostic
estimate of qC=qt; C2 for q

2C=qt2, and so on.
The general form of the functional dependence

defining a balance relation, assuming a balanceable
mass fieldFðx; tÞ, is given by eqn [5], where it is again
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emphasized that no derivatives or integrals with
respect to t may appear: it must be possible, in
principle at least, to eliminate them all to produce a
relation of the form [5].

uðx; tÞ ¼ uB½x; Fð�; tÞ� ½5�

Time t enters solely via the second argument Fð�; tÞ of
uB. The notation Fð�; tÞ follows mathematical con-
vention and signifies nonlocal spatial dependence. In
other words, the second argument of uB is the whole
function, F of x, over the whole flow domain at the
given instant t – not merely the value ofF at the single
value of x towhich the left-hand side of [5] refers. Such
nonlocal functions are sometimes called ‘functionals’.
Even the geostrophic relation [1] is enough to illustrate
the point, though it involves nothing more than
the behavior of F in the immediate neighborhood of
x – more precisely, it involves enough about that
behavior to permit the evaluation of the two hor-
izontal derivatives. The Bolin–Charney balance rela-
tions, generalized or not, are fully nonlocal, as is plain
from the occurrence of elliptic partial differential
operators like r2 and, implicitly or explicitly, the
associatedGreen’s function integrals. To find u fromF
or vice versa, one has to solve elliptic partial
differential equations in the flow domain, as already
emphasized, implying for instance that the value of u
at some position x will depend on values Fðx0; tÞ at
other positions x0 well outside the neighborhood of x.

The generalized Bolin–Charney balance relation is
often accurate enough for practical purposes, such as
observational data analysis and assimilation, and the
initialization of the full dynamics for numerical
weather prediction. Of fundamental interest, how-
ever, from a theoretical viewpoint, is the fact that the
pattern of elimination of time derivatives can be
extended even further, resulting in balance relations
that aremore accurate still. The ideas involved seem to
have been first explored by K. H. Hinkelmann in the
1960s, in connection with the initialization problem,
and were later approached from another direction,
based on normal mode expansions, by B. Machen-
hauer, F. Baer, J. Tribbia, and others.

The most accurate balance relations can, in some
circumstances, be far more accurate than values of
parameters like the Rossby number might ever
suggest; and this accuracy extends over a far wider
range of parameter values than could reasonably have
been expected a priori – with values numerically of
order unity, and even greater, in some cases. This
astonishing fact – discovered by W. A. Norton in the
late 1980s, through ingenious numerical experiments
– cannot be deduced by inspection of the momentum
equations or other forms of the equations ofmotion. It

involves great mathematical subtlety, and full under-
standing has yet to be achieved. Some insight has come
from studies of a related phenomenon in classical
aerodynamics, the weakness of aerodynamic sound
generation or ‘Lighthill radiation’. Recent work at the
cutting edge of this problem can be found in papers by
O. Bokhove, O. Bühler, D. G. Dritschel, R. Ford, J. C.
McWilliams, A. R. Mohebalhojeh, S. Saujani, T. G.
Shepherd, J. Vanneste, D. Wirosoetisno, I. Yavneh,
and others, appearing in the literature from about
2000 onwards.

Among other things this recent work has provided a
clear answer, in the negative, to a question posed in
1980 by E.N. Lorenz: Could there be an exact balance
relation? Could there be unsteady stratified, rotating
flows that evolve in such away that freely propagating
inertia–gravity waves are completely absent? More
precisely, is there a slowmanifoldwithin the full phase
space that is indeed an invariant manifold of the full
dynamics?

The answer in the negative has sometimes been
viewed with surprise, perhaps because KAM theory
has shown that there are springy pendulum examples,
and similar examples from other low-order dynamical
systems, in which the corresponding question has a
positive answer as emphasized in work by O.
Bokhove, T. G. Shepherd and others. In dynamical
systems language, there are swinging modes that
confine themselves to invariant manifolds in the
form of ‘intact KAM tori’. In such cases, the swinging
motion of the pendulum evolves as if the length of the
spring and the elevation of the bobwere exactly slaved
to each other.

But the negative answer, for atmosphere–ocean
dynamics, is now very clear from various lines of
argument beginning with pioneering work of R. M.
Errico and T. Warn, and strongly confirmed by the
recent work mentioned above. It is also implicit in the
nonlocalness, or action-at-a-distance, expressed by
[5]. Information (about chaotic vortex motion for
instance) cannot in reality travel infinitely fast. Related
to this is the fact that Lighthill radiation, though often
exceedingly weak (accounting for the astonishing
accuracy found by Norton) is almost always nonzero.
In the atmosphere–ocean context, this says that
unsteady vortical flow almost always radiates sound
and inertia–gravity waves, though often very weakly.
This in turn relates to dynamical systems concepts
such as Poincaré’s ‘homoclinic tangle’ and the breakup
of KAM tori into thin ‘chaotic layers’ or ‘stochastic
layers’. Lighthill’s ideas make it overwhelmingly prob-
able, even though not yet proven rigorously, that the so-
called ‘slowmanifold’ is such a stochastic layer. Though
astonishingly thin in places – over a far wider range of
parameter values than could reasonably have been
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expected a priori – it is not a manifold, which by
definition is infinitesimally thin. Though astonishingly
accurate in some circumstances, the concept of
balance is inherently and fundamentally approximate.
The layer is sometimes referred to, therefore, as the
‘slow quasimanifold’.

(Arguably, a self-contradictory term like ‘fuzzy
manifold’ is best avoided. By its mathematical defini-
tion a ‘manifold’ is a perfectly sharp, smooth hypersur-
face and not at all fuzzy. Thus ‘fuzzy manifold’ would
add yet another item to the list of self-contradictory
terms like ‘variable solar constant’ and ‘asymmetric
symmetric baroclinic instability’ – which of course we
inevitably have to live with but, perhaps, need not add
to.)

One of the most peculiar manifestations of slow
quasimanifold fuzziness is the phenomenon some-
times called ‘schizophrenia’ or ‘velocity splitting’. This
is a generic property of the most accurate ‘balanced
models’.

Just as the swinging modes of the springy pendulum
can be described in a simplified yet remarkably
accurate manner by imposing a functional relation
between spring length and bob elevation, vortical
flows can be described by simplified ‘balanced
models’, constructed by imposing a balance relation
from the start. This forces a true slow manifold into
existence. The initialization of such a model requires
only a single scalar field to be specified, such as the
mass field, or the potential vorticity field in the
generalized sense. This scalar field is sometimes called
the ‘master’ field or ‘master’ variable of the balanced
model, to which all other dependent variables are
slaved. The model has only one prognostic equation,
involving only one true time derivative, the rate of
change of the master field – as distinct from the
diagnostic estimates of time derivatives that may be
hidden inside the definition of the balance relation [5],
such as the diagnostic estimates C1; C2; . . . already
mentioned.

A famous example of such a model is the ‘Bolin–
Charney balanced model’ or ‘Bolin–Charney balance
model’, or ‘isentropic-coordinate balance equations’,
so-called, in which either mass or potential vorticity
can be taken as the master field. Both are advected by
the velocity field determined via the generalized Bolin–
Charney balance relation. Here, as implicitly above,
the term ‘potential vorticity’ is to be understood in its
exact (Rossby–Ertel) sense, and is to be evaluatedwith
the same velocity field, that given by the generalized
Bolin–Charney balance relation.

Now the term ‘velocity splitting’ refers to the fact,
only recently noticed, that no balanced model more
accurate than the Bolin–Charney model can have a
single velocity field that advects both mass and

potential vorticity, and from which the exact potential
vorticity is evaluated. Paradoxical though it may seem
at first, all such highly accurate balanced models have
one velocity field to advect the mass, and another to
advect the potential vorticity. At the highest accuracies,
the two fields differ by only a tiny amount, but differ
theymust.Related to this is the fact, alreadymentioned,
that diagnostic estimates such as C1; C2; . . . differ
from true timederivatives such as qC=qt; q2C=qt2; . . ..
In all these respects the Bolin–Charney balancedmodel
has turned out to be wholly exceptional.

Velocity splitting was first noticed for Hamiltonian
balanced models constructed from the full dynamics
by the method of R. Salmon. All such models exhibit
velocity splitting, at all levels of accuracy, though in a
slightly different sense: one velocity field advects mass
and potential vorticity but another evaluates potential
vorticity. As Salmon first showed in the 1980s, the
models can be constructed in a systematic way by
imposing the balance relation [5] as a constraint on the
full dynamics within the Hamiltonian framework.
Technically speaking, the crucial step that produces a
balanced model while preserving Hamiltonian struc-
ture is to restrict the ‘symplectic 2-form’ of the full
dynamics (a mathematical object that can contain
both the Hamiltonian flow in phase space and
variations about it) to the in phase space submanifold
defined by eqn [5].

As Salmon pointed out, one of the reasons for using
the Hamiltonian framework is that it provides control
over conservation principles. The framework, prop-
erly applied, guarantees that the balanced model will
fully respect the standard conservation principles for
mass, momentum, and energy, as well as the material
conservation (material invariance) of potential vorti-
city. However, there is a fundamental tension between
accuracy and conservation. The most accurate
balanced models cannot be expected to respect
conservation, beyond the material invariance of
potential vorticity. That is because they are trying to
mimic vortical flows that in reality produce Lighthill
radiation, which involves wave-induced local mass
rearrangement, and wave-induced fluxes of energy
and momentum, none of which can be exactly
described by the balanced model. It is therefore
arguable that the most accurate balanced models
will, by that very fact, not respect the standard
conservation principles for mass, energy, and momen-
tum. One cannot have both accuracy and conserva-
tion. Something has to give way.

Within the Hamiltonian framework, which auto-
matically preserves the conservation principles, what
gives way is the concept of a unique velocity field. Less
obviously, thesamethinghappenswithnon-Hamiltonian
balanced models of the highest possible accuracy
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– essentially because the neglect of Lighthill radiation
still implies an imperfect representation of local mass
rearrangement. This becomes noticeable, even with a
non-Hamiltonian balanced model, as soon as one is
computing with enough accuracy to see the fuzziness
of the slow quasimanifold.

Note on Terminology

The reader is warned that the term ‘geostrophic
balance’, and its shorthand form, ‘geostrophy’, are
sometimes used in the literature tomean balancemore
accurate than geostrophic, i.e.,more accurate than [1].
A common example is the phrase ‘geostrophic adjust-
ment’, which refers to the mutual adjustment of the
mass and velocity fields to approach balance or to stay
close to balance – and ‘balance’ of course, in real fluid
flow, means not [1] but the most accurate possible
balanceof the form [5].The exampleof a circular vortex
adjusting toward ageostrophic, gradient-wind balance
while radiating inertia–gravity waves is enough to
illustrate the point. Gradient-wind balance is the
particular case of Bolin–Charney balance that applies
to a steady circular vortex. For the circular vortex it
holds exactly when f is constant, and is equivalent to [1]
plus a correction term representing relative centrifugal
force.Thus by implicationwehave anotherpiece of self-
contradictory terminology, ‘ageostrophic geostrophic
adjustment’, unfortunately well established.

It may also be noted that the term ‘adjustment’ is
itself used in two distinct senses that are sometimes
confused with each other. The first is ‘Rossby’ or
‘initial condition’ adjustment, the mutual adjustment
of the mass and velocity fields toward balance that
occurs primarily because a system is started in an
unbalanced state, an extreme example being the
thought experiment described above. The second is
‘spontaneous’ adjustment, the continual mutual
adjustment of the mass and velocity fields to stay close
to balance in unsteady vortical flow, even after initial
conditions are forgotten. This second process, a far
more subtle one, is the process that produces Lighthill
radiation. It sets the ultimate limitations of the balance

concept itself. For all the foregoing reasons, some
authors are beginning to avoid the term ‘geostrophic
adjustment’, instead using the terms ‘Rossby adjust-
ment’ or ‘spontaneous adjustment’ as appropriate.
Lighthill radiation may also be referred to, therefore,
as the ‘spontaneous-adjustment emission’ of sound
and inertia–gravity waves by unsteady vortical flows.

See also

Buoyancy and Buoyancy Waves: Theory. Coriolis
Force. Dynamic Meteorology: Potential Vorticity;
Waves. Hamiltonian Dynamics. Instability: Inertial
Instability; Symmetric Stability. Kelvin–Helmholtz
Instability. Quasi-geostrophic Theory. Teleconnec-
tions. Vorticity. Wave Mean-Flow Interaction.
Weather Prediction: Data Assimilation.
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Material Invariance

The significance of the potential vorticity as an exact
material invariant of dissipationless stratified, rotating

flow was demonstrated by Carl-Gustaf Rossby in the
1930s.Material invariancemeans constancy on a fluid
particle. The potential vorticity, a scalar field, will be
denoted here by P and can be defined in several ways,
as shown shortly. For dissipationless flowwe have eqn
[1], where D=Dt denotes the material derivative.

DP=Dt ¼ 0 ½1�

DYNAMIC METEOROLOGY / Potential Vorticity 685



For such flow we also have material invariance of the
potential temperature y, as given by eqn [2].

Dy=Dt ¼ 0 ½2�
Rossby’s idea was to introduce a vorticity-like quan-
tity that is related to the vertical component of
vorticity in the same way that potential temperature
is related to temperature.

The idea is now recognized as having central and
far-reaching importance for understanding the dy-
namical behavior of the atmosphere, and of the oceans
as well. It is especially important for understanding
balanced flow and therefore a vast range of basic
dynamical processes, such as Rossby wave propaga-
tion and its many direct and indirect effects, including
global-scale teleconnections and the development of
cyclonic storms – answering the child’s age-old ques-
tion of where the wind comes from.

The material invariance of P is a corollary of the
Kelvin–Bjerknes circulation theorem. By definition, P
is proportional to the Kelvin circulation CG around a
small closed material contour G lying on an isentropic
(constant y) surface.CG is defined in eqn [7] below.The
constant of proportionality is related to the mass of a
certain fluid elementwhose perimeter isG, as shown in
eqn [6]. Small means small in comparison with all
length scales of the flow. The circulation theorem says
that CG is constant for dissipationless motion, while
eqn [2] says that thematerial contourGwill remain on
the isentropic surface. This is enough to establish [1],
as will be seen in more detail below.

Rossby’s pioneering papers of 1936, 1938, and
1940 derived implicit and explicit formulas for P and
noted its material invariance for shallow water and
continuously stratified systems, assuming that the
mass and pressure fields are related hydrostatically
and that the slopes of isentropic surfaces are small in
comparison with unity. The continuously stratified
system was conceived of as a multilayer system in the
limit of many shallow layers. Rossby’s formula in the
limit of continuous stratification is, apart from
additive and multiplicative constants, given by eqn
[3], where g is the gravitational acceleration, p is
pressure, and f is the Coriolis parameter, a function of
latitude.

P ¼ g
qv
qx

� qu
qy

� �
y
þf

� �
qy
qp

����
���� ½3�

The horizontal coordinates x; y are local Cartesian
coordinates in a tangent-plane representation, with
corresponding horizontal velocity componentsu and v
relative to theEarth. The formula converts to spherical
or other coordinates in the same way as the ordinary
vertical vorticity.

However, the quantity within braces is not the
ordinary vertical vorticity. The subscript y is impor-
tant. It signifies that the horizontal differentiations of
the horizontal velocity components are to be carried
out with y held constant. That is, one stays on a single
isentropic surface, just as one does when applying the
circulation theorem. The resulting quantity is some-
times called Rossby’s ‘isentropic vorticity’. Within the
approximations involved (see paragraph below eqn
[4]), the isentropic vorticity is the same as the
component of the vorticity vector normal to the
isentropic surface, the quantity involved in the circu-
lation theorem. Its values can be significantly different
from those of the vertical vorticity in balanced flows
with strong vertical shear and values of theRichardson
number that are not very large, i.e., balanced flows
with high baroclinicity.

Such vertical shear is associated with significant
cross-stream tilting of isentropic surfaces relative to
isobaric surfaces, as indicated by the ‘thermal wind
equation’. The shear and cross-stream tilting effects
were found to make significant contributions to the
right-hand side of [3] in, for instance, the pioneering
work of R. J. Reed, F. Sanders, and E. F. Danielsen on
observational data describing tropopause fronts and
jet streams, in which air of stratospheric origin was
recognized by its relatively high values of P. Absolute
slopes were small, but baroclinicity was high enough
for the subscript y to be important in [3].

If we neglect the tilting effects and thus neglect the
distinction between the isentropic and vertical vorti-
cities, then we obtain the simplified version of [3]
displayed elsewhere (see Dynamic Meteorology:
Overview, eqn [10]), in which the absence of the
subscript y specifies that the differentiations are to be
carried out with pressure or geometric altitude held
constant. The use of pressure altitude is often conven-
ient, as it removes the need for interpolation to
isentropic surfaces when working with standard data
sets. The simplified version is sometimes called the
‘poor man’s potential vorticity’. It is accurate enough
for applications where values of the Richardson
number are sufficiently large, such as large-scale
stratospheric dynamics.

Equation [1] with [3] provides a remarkably
succinct description of how dissipationless processes
affect the component of absolute vorticity normal to
an isentropic surface. There are two distinct effects.
The first is the tendency of the normal component to
increase through vortex stretching if the isentropic
surfacesmove apart, so that jqy=qpjdecreases. This is a
generalization of angular momentum conservation,
the ‘ballerina effect’ or ‘ice-skater’s spin’ (see Figure 3
in Dynamic Meteorology: Overview). The second is
the tendency of the normal component to be preserved
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if the isentropic surfaces do nothing but tilt away from
the horizontal. In most cases this involves a nontrivial
change in the three-dimensional vorticity field, includ-
ing the change due to the tilting of the vortex lines.
Only the first effect, vortex stretching, but not the
second, is accounted for by the ‘poor man’s potential
vorticity’.

Such vortex stretching often contributes to the spin-
up of cyclonic vortices, such as the small vortex over
the Balkans in Figure 1. The colors mark air with
different estimated values of P, on the y ¼ 320K
isentropic surface, with the warmest colors marking
the highest values. There is a similar vortex overNorth
Africa, the left-hand member of a small vortex pair.
Both this and the vortex over the Balkans have cores,
showing red and yellow colors in the figure, consisting
of high-P air that has undergone stretching while
moving equatorward out of the stratosphere. The
cyclonic, i.e., counterclockwise, rotation of the cores
relative to the surrounding air shows up as a tendency
of the surrounding colored filaments to be wound up
into spirals.

The estimated isentropic distribution of P shown in
Figure 1 was derived from an initial coarse-grain
estimate from operational weather forecasting analy-
ses together with an assumption that material
invariance, [1] with [2], holds to sufficient accuracy
over 4 days. A highly accurate tracer advection
technique, contour advection, was used, first intro-
duced into the atmospheric science literature by

W. A Norton, R. A. Plumb, and D. W. Waugh
following the work of D. G. Dritschel. The pattern
thus revealed, reminiscent of cream on coffee, illus-
trates the typical advective effects of the stratification
constrained, ‘layerwise-two-dimensional’ motion
characteristic of flow regimes at moderate to large
Richardson number. Such regimes can often be con-
sidered to be balanced flows, whose isentropic distri-
butions of P contain nearly all the information about
the dynamics. This will be made precise in the section
on ‘PV inversion’ below.

Ertel’s Formula

A formula for P that is exactly proportional toCG and
therefore an exact material invariant, with no reliance
on the hydrostatic and small-slope approximations,
was first derived by Rossby’s colleague H. Ertel in his
celebrated paper of 1942. Ertel’s formula is most
elegantly written in an inertial (nonrotating) reference
frame as shown in eqn [4].Here geometric coordinates
are used, r is the mass density (mass per unit volume),
and fa is the absolute vorticity vector, or curl of the
three-dimensional velocity field viewed in the inertial
frame.

P ¼ r�1fa .ry ½4�

The same formula applies in the rotating frame, since
we need only recognize that fa is the relative vorticity

Figure 1 Estimated isentropic distribution of (Rossby–Ertel) potential vorticity on the 320K isentropic surface on 14 May 1992 at 1200

UT (Greenwich mean time), derived from observations as explained in the text. Over Europe the 320K surface lies near jetliner cruising

altitudes z �10 km. The estimate used data from the operational weather-prediction analyses of the EuropeanCentre forMedium-Range

Weather Forecasts (ECMWF). Values from 1 PVU upwards are colored rainbow-wise from dark blue to red with contour interval 1PVU;

1PVU ¼10�6m2 s�1 K kg�1. (Reproducedwith permission fromAppenzeller, Davies andNorton (1996) Fragmentation of stratospheric

intrusions. Journal of Geophysical Research 101: 1435–1456.)
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added vectorially to twice the angular velocity vector
X of the rotating frame.

In flows like that of Figure 1 the small-slope
approximation applies, so that r–1ry is nearly verti-
cal. Thus its scalar product with 2X picks out the
vertical component of 2X, to good approximation.
That component is the Coriolis parameter f appearing
in [3]. The factor gjqy=qpj in [3] is approximately
equal tor�1jryjunder the small-slope andhydrostatic
approximations, so that the contributions to [3] and
[4] from 2X agree. It is a straightforward exercise in
vector calculus to show that the remaining contribu-
tions also agree in these circumstances provided that,
for consistency with the hydrostatic approximation,
the vertical component of velocity is neglected when
taking the curl of the relative velocity field to form the
relative vorticity.

The hydrostatic and small-slope approximations
are usually so good in practice that [3] and [4] give
practically indistinguishable results when evaluated
from typical meteorological data sets, and from the
output of numerical weather forecasting models. The
two formulas are often treated as equivalent for
practical purposes, and indeed Rossby’s formula [3]
is sometimes referred to as defining ‘the Ertel potential
vorticity’ and as being ‘exact’, in order to distinguish it
from the much less accurate formulas for the material
invariants possessed by certain approximate
‘balanced models’. The most important such models
are quasi-geostrophic theory and semigeostrophic
theory. The material invariants of those balanced
models are also called potential vorticities but are
defined by formulas that differ very substantially from
[3] and [4], and cannot be considered quantitatively
accurate. Here the potential vorticity in its quantita-
tively accurate sense will be referred to as ‘the Rossby–
Ertel potential vorticity’ or simply ‘the PV’ for brevity,
whether defined by [3] or by [4].

To confirm that [1] with [4] follows from the
circulation theorem, without approximation, and to
see precisely how the mass field is involved, we note
first that the PV as defined by [4] can be rewritten as
eqn [5], where s ¼ r=jryj, and n ¼ ry=jryj, the
upward-directed unit normal to the isentropic surface
S, say, on which P is being evaluated.

P ¼ s�1fa . n ½5�

The scalar fields is a strictly positive quantity. It can be
looked on as a stratification-related mass density and
is sometimes called ‘the mass density in isentropic
coordinates’. More precisely, sdy is the mass per unit
area between neighboring isentropic surfaces whose y
values differ by dy. Thus if dA is the surface area
element of integration, then s dA dy is the mass

element of integration. From mass conservation and
[2], we therefore have eqn [6], where SðGÞ denotes the
part of S enclosed by any material circuit G in S such
that SðGÞ is simply connected. Here G is otherwise
arbitrary. The size of SðGÞ can, but need not, be taken
to be small in comparison with the length scales of the
flow.TheKelvin circulation aroundG is defined by eqn
[7], where u is the three-dimensional velocity field in
the inertial frame.ZZ

SðGÞ
s dA ¼ constant ½6�

CG ¼
I

G
u .dx ½7�

From Stokes’ theorem we have eqn [8], with no
approximation needed when P is defined by [4] or [5].

CG ¼
ZZ

SðGÞ
fa . n dA ¼

ZZ
SðGÞ

Ps dA ½8�

But the circulation theorem says thatCG and therefore
the right-hand side is constant. The constancy of both
[6] and [8] and the arbitrariness of G immediately
imply [1], the material invariance of P. If one chooses
the greatest diameter of G to be arbitrarily small in
comparisonwith the length scales of the flow, then P is
simply [8] divided by [6].

An alternative derivation of [1], essentially that
given by Ertel, proceeds by straightforward vector
calculus. One takes the scalar product of ry with the
three-dimensional vorticity equation (which is the curl
of the nonhydrostatic, three-dimensional momentum
equation), and thenmakes use ofrðDy=DtÞ ¼ 0, from
[2]. Note that D=Dt ¼ q=qt þ u .r and that the
gradient operator r acts on u as well as on y. The
term in the vorticity equation proportional torp�rr
is annihilated when the scalar product with ry
is taken, because of the fact that y is a function of p
and r alone, from the thermodynamics (specifically,
y / T=pk; k¼: 2=7¼: 0:286,with temperatureT / p=r).
The result is a conservation relation in the general
sense of the term, in ‘flux form’, eqn [9], withP defined
by [4] or [5]. Putting this together with the corre-
sponding equation expressing conservation of mass,
eqn [10], we immediately obtain [1].

q
qt

ðrPÞ þ r . ðruPÞ ¼ 0 ½9�

qr
qt

þr . ðruÞ ¼ 0 ½10�

A corollary ofmaterial invariance, [1] and [2], is the
existence of so-called ‘Casimir invariants’. They are
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important in theories that make explicit the Hamil-
tonian mathematical structure of the dissipationless
dynamics, and in associated theorems on wave–mean
interaction. Note first that we have not only constancy
of [8], but also that expressed by eqn [11], where jðPÞ
is an arbitrary function. This is because each mass
element has a single value of P and therefore a single
value of jðPÞ. Extending SðGÞ to span the whole fluid
domain and integrating over all isentropic surfaces,we
obtain [12], with c P; yð Þ another arbitrary function,
where the integral is taken over the whole fluid
domain. These domain integrals [12] are the Casimir
invariants. They are exactly constant for any dissipa-
tionless motion whatever.ZZ

SðGÞ
jðPÞsdA ¼ constant ½11�

ZZZ
cðP; yÞsdAdy ¼ constant ½12�

PV Units and the Extratropical
Tropopause

Rossby’s original definition of the PV involved a
multiplicative constant that makes the physical di-
mensions of P the same as those of ordinary vorticity,
namely (time)� 1. Thismakes for a closer analogywith
potential temperature, whose units are degrees Kelvin
(K), as with ordinary temperature. However, the usual
practice today is to tolerate the slightly looser analogy
and the different physical units implied by the defini-
tions [3]–[5] of the PV, for the sake of having simpler

formulas. The standard ‘PV unit’ used today is
10�6m2 s� 1K kg� 1 (abbreviated PVU).

By a strange accident, cross-sections of the atmos-
phere show values typically close to 2 PVU at the
extratropical tropopause, and this has proved ex-
tremely useful as a way of defining the tropopause
outside a tropical band of latitudes, say outside7201
or so (see Figure 2). The shape of the 2 PVU contour in
Figure 1, dividing dark blue from light blue, gives no
more than a slight hint of the complicated three-
dimensional shape of the tropopause, where it inter-
sects the 320K isentropic surface at the instant shown.
The instantaneous tropopause is a highly convoluted
surface with an overall downward–poleward slope, so
that the white areas in Figure 1 are in the troposphere
and the main colored areas are in the stratosphere.
Airborne measuring instruments flown along the
320K surface and crossing from white through dark
blue into light blue and warmer-colored areas would
see changes in chemical composition characteristic of
the transition from tropospheric to stratospheric air.
Indeed, such changes have often been observed in
association with finer-scale, filamentary structures of
the kind seen in the figure, beginning with the
pioneering work of D. W. Waugh and R. A. Plumb in
the early 1990s using data fromNASA’s ER-2 aircraft.

The usefulness of the PV as a tropopause marker is
an accident because, for one thing, it depends on the
choice of y as the thermodynamic material invariant
that satisfies eqn [2] and appears in the definitions [3]–
[5]. There is no fundamental reason for that choice.
Everything in the theory works just as well with other
thermodynamic material invariants such as the spe-
cific entropy, or indeed any monotonic function of y
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Figure 2 Lattitude–altitude cross-section for January 1993 showing the monthly and zonally averaged temperature T as dashed

contours, and potential temperature y as light solid contours. The heavy solid contour shows the nominal extratropical tropopause as

definedby the 2PVU contour of thePV field calculated fromRossby’s formula [3], using zonally averaged y, horizontal wind and pressure/
height fields obtained fromUKMetOfficeanalyses. (Reproduced fromHoltonet al. (1995)Stratosphere–troposphere exchange.Reviews

of Geophysics 33: 403–439.)
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whatever. The PV thus redefined is sometimes called a
‘modified PV’. Isentropic distributions of P like that in
Figure 1 remain the same after such modification,
apart from the fact that the units and numerical values
assigned to each color need changing. Notice, howev-
er, that the normalizing factors for those changes
depend on y and are therefore different on each
isentropic surface.

PV Inversion

Any flow that can be considered balanced, in the
standard sense of the term (seeDynamicMeteorology:
Balanced Flow), and for which the mass under each
isentropic surface S is known, satisfies what is some-
times called the ‘invertibility principle’ for PV. The
principle says that the isentropic distributions of PV,
i.e., the distributions of P values on all the isentropic
surfaces S, together with the distributions of y values
on the lower boundary and on the upper boundary if
present, at some given instant, implicitly contain all
the remaining dynamical information about the flow
at that instant. There is an ‘inversion operator’ whose
output is the remaining information, when given the
interior P and boundary y distributions as input. The
inversion operator is implicitly defined by a certain set
of diagnostic relations. These are the balance condi-
tion u ¼ uB, the hydrostatic relation, the equation of
state, and an equation definingP such as [4]. Given the
instantaneous P and y distributions and the mass
under each isentropic surfaceS, these equations can be
solved to give the remaining information, i.e., the
p; r; T, and u fields, at the same instant.

The idea of PV inversion is implicit in textbook
descriptions of, for instance, the Rossby-wave mech-
anism (see, for instance, Figure 5 in Dynamic Mete-
orology:Overview). The idea of inversion comes in at
the point in the argument where the velocity field is
deduced from the vorticity or PV field. Sometimes the
term ‘induced velocity’, borrowed from aerodynam-
ics, is used. In this context, it means the velocity field u
deduced from the PV by inversion.

It can be shown that calculating the u field by PV
inversion is, to a crude first approximation, equivalent
to calculating the electric field E induced by a given
charge distribution – measured in a certain way by the
P and y anomaly distributions – then taking the
horizontal component of E and rotating it counter-
clockwise through a right angle. This electrostatic
analogy seems to have been originated by A. M.
Obukhov. Thus, for instance, the positive isentropic
anomaly in P over the Balkans in Figure 1 induces a
cyclonic or counterclockwise velocity field around it.
This provides us with a way of saying what the terms

‘vortex’, ‘cyclone’, and ‘anticyclone’ really mean. The
vortex over the Balkans, an upper-air cyclone, is
nothing but the positive isentropic anomaly in P
together with its induced velocity field. An upper-air
anticyclone is nothing but a negative isentropic
anomaly in P together with its induced velocity field.
Because of the balance condition, these velocity fields
are accompanied by p, r, and T fields that to a crude
first approximation satisfy the thermal wind equation;
for instance the upper-air cyclone has a warm T
anomaly above and a cold anomaly below. Converse-
ly, an upper-air anticyclone has a cold anomaly above,
a fact crucial to polar ozone chemistry. Fast airflow
through such an anomaly can produce efficient low-
temperature chemical processing.

There are corresponding statements involving the
distributions of y at, say, the lower boundary. (In
practical terms, taking friction into account, this
translates to ‘just above the planetary boundary
layer’.) A surface cyclone or ‘heat low’ is nothing but
a positive, i.e., warm, surface y anomaly together with
its induced velocity field, and vice versa for a surface
anticyclone. Severe cyclonic storms in the extratrop-
ical atmosphere often arise from the vertical alignment
of warm surface y anomalies and positive upper-air
isentropic anomalies of P, like the large anomaly seen
on the left of Figure 1. With vertical alignment the
induced velocities tend to add up. Furthermore, the
development of such a situation by near-surface warm
advection and upper-air positive-P advection tends to
induce large-scale upward motion, described by the
omega equation or by sufficiently accurate forms of
the balance condition u ¼ uB. The upward motion
may trigger latent heat release and create still stronger
positive isentropic anomalies of P in a feedback
process. Especially in the moist air over the extratrop-
ical oceans, the upshot can be the explosive marine
cyclogenesis feared and respected by sailors: ‘Three
days from land a great tempest arosey’

It hardly needs saying that, whenever the inverti-
bility principle holds to sufficient accuracy, we have a
vastly simplified description of the dynamical evolu-
tion. The dynamical system is completely specified by
a PV inversion operator together with the very simple
prognostic equation [1], supplemented by [2] on the
boundaries, as necessary, or their diabatic, frictional
generalizations. Since P and y are scalar fields, keeping
mental track of them – using pictures like Figure 1,
actual or mental – is a far simpler task than keeping
trackof thep,r,T, andufields in three dimensions.All
the nonlocal dynamical effects arising from balance or
near-balance are encapsulated in the inversion opera-
tor. These points, implicit in Rossby’s work, seem to
have been first fully articulated by J.G.Charney andE.
Kleinschmidt in the late 1940s. They allow us tomake
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sense, in turn, not only of Rossby-wave propagation
and cyclogenesis but also, for instance, of aerodynam-
ical ideas like ‘vortex rollup’ – the idea that a strong
isentropic anomaly in PV can roll ‘itself’ up into a
nearly circular vortex, as in our Balkans example.

In 1966 F. P. Bretherton pointed out that an even
greater conceptual simplification is possible. The
single prognostic equation [1] is enough to determine
the evolution by itself, provided that we consider the
PV field Pðx; tÞ to contain Dirac delta-function con-
tributions at the upper and lower boundaries, with
strengths determined by the y distributions at the
boundaries. Ignoring frictional boundary-layer phe-
nomena, we may relate this to the idea that isentropic
surfaces intersecting the lower boundary, say, can be
imagined to continue along the boundary in an
infinitesimally thin layer of infinite jryj hence infinite
P. In the electrostatic analogy, surface y distributions
correspond to surface charge distributions – electric
charge per unit area rather than per unit volume. The
PV field with boundary delta-functions included
qualifies as the master variable or master field of a
‘balanced model’. We may call it the ‘PV field in the
generalized sense’.

The single time derivative appearing in [1] exposes
another fundamental point that is hardly evident from
the equations expressing Newton’s laws of motion in
terms of the p, r, T, and u fields. The single time
derivative shows for instance why all the different
types of Rossby waves – topographic, ‘short Eady’,
internal – exhibit one-way phase propagation. In this
regard the Rossby-wave mechanism is quite unlike
classical wave mechanisms, where the governing
equations always contain even numbers of time
derivatives, making the propagation time-reversible.
The one-way phase propagation arises from the
Earth’s rotation, or from other factors that impose a
handedness or chirality upon the wave dynamics.

On the global or planetary scale, the sign of P is
dominated by theEarth’s rotation through theCoriolis
parameter f, so that [3] takes positive values inmost of
the Northern Hemisphere and negative in most of the
Southern. Consideration of the signs shows that
internal planetary-scale Rossby waves exhibit west-
ward, never eastward, phase propagation relative to
themean flow.All types ofRossbywaves exhibit phase
propagation that is ‘quasi-westward’ – meaning ‘as if
westward’ – in the sense of having high or predomi-
nantly high generalized PV values on the right, e.g.,
warm surface air on the right, where ‘warm’ is
measured by y, for topographic Rossby waves or short
Eady waves. The same chirality accounts for the
ratchet-like, one-way character of related processes
such as the irreversible transport of angular momen-
tum due to the dissipation of internal Rossby waves in

the stratosphere by breaking and infrared damping
and the resulting ‘gyroscopic pumping’, always
poleward and never equatorward, that persistently
drives the global-scale stratospheric circulations and
chemical transports usually discussed under the
heading ‘Brewer–Dobson circulation’ or ‘transport
circulation’.

As the electrostatic analogy reminds us, PV inver-
sion is a diagnostic, nonlocal operation, like the
balance condition itself. The accuracy of an inversion
depends solely on the accuracy of the balance condi-
tion used, provided, of course, that ‘PV’ continues to
signify the potential vorticity in the full Rossby–Ertel
sense, as distinct from the very different formulas used
in quasi-geostrophic theory and semigeostrophic the-
ory, which are themselves not fully accurate.

We may illustrate the idea of inversion in a simple
way by considering the theoretical limiting case of
infinite stable stratification, in which the buoyancy
frequency squared,N2 ¼ gy�1qy=qz, and theRichard-
son number Ri ¼ N2=ðqjuj=qzÞ2 both tend to infinity,
where z is altitude. The isentropic surfaces S become
rigid and horizontal – horizontal in the billiard-table
sense,with the sumof the gravitational and centrifugal
potentials constant. The balance condition degener-
ates to a statement that the flow on each S is strictly
horizontal and strictly incompressible. Then, switch-
ing to the rotating frame, with u now denoting the
velocity relative to the Earth, we have u ¼ ẑz�rSc for
some streamfunction c, where ẑz is a unit vertical
vector, and, from [5], we obtain eqn [13], with s now
strictly constant, where r2

S is the two-dimensional
Laplacian on the surface S. We may regard [13] as a
Poisson equation to be solved for c when P is given.
Solving it is a well-defined, and well-behaved, opera-
tion provided that the given P field satisfies a certain
integral relation, [16] below, on each S. Symbolically,
in the rotating frame, we may express the solution as
eqn [14].

P ¼ s�1ðf þr2
ScÞ ½13�

u ¼ ẑz�rSc with c¼r�2
S ðsP� f Þ ½14�

This solution expresses PV invertibility in the limiting
case. The inversion problem now resembles a two-
dimensional problem in electrostatics. The charge
distribution again corresponds to the PV anomaly,
here expressed simply by ðsP� f Þ, and c corresponds
to the electric potential. In this limiting case, as in
general, PV inversion can be seen to be a diagnostic,
nonlocal operation.

Notice also that our limiting case is degenerate in
another sense as well. The altitude z now enters the
problem only as a parameter. There is no derivative
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q=qz anywhere in the problem, either in the horizontal
Laplacian or in thematerial derivativeD=Dt ¼ q=qt þ
u .r; u now being strictly horizontal. Not only is the
motion layerwise-two-dimensional, but the layers are
completely decoupled from each other. For the validity
of this picture there is, therefore, an implicit restriction
on magnitudes of q=qz, i.e., an implicit restriction on
the smallness of vertical scales, as the limit is taken.

More realistically, when N and Ri are large but
finite, q=qz reappears in the problem and brings back
vertical coupling. The motion remains layerwise-two-
dimensional in the sense that notional ‘PV particles’
move along each isentropic surface S (see the next
section) but the surfaces themselves are no longer quite
horizontal, nor quite rigid. All the vertical coupling
comes from the PV inversion operator. The two-
dimensional inverse Laplacian in [14] is replaced by an
inverse elliptic operator that resembles a three-dimen-
sional inverse Laplacian when a stretched vertical
coordinateNz=f is used; thus the vertical coupling for
motions of horizontal scale L is effective over height
scales of the order of the corresponding Rossby height
fL=N.

For finite N and Ri there are tradeoffs between
accuracy and simplicity. The simplest though least
accurate inversion operator is that arising in the
standard quasi-geostrophic theory, an asymptotic
theory for large Ri and f 6¼ 0, valid away from the
Equator. In [13] and [14] the operator r2

S is replaced
by an operator of the form [15], with c still represent-
ing a streamfunction for the relative horizontal
motion, and with qc=qz representing T and y through
their isobaric distributions (see Quasi-geostrophic
Theory). The electrostatic analogy now holds, qual-
itatively, in three dimensions. Inversions in three
dimensions more accurate than the above have been
demonstrated and used byC.A.Davis, K. A. Emanuel,
D. J. Raymond, A. J. Thorpe, and others. The most
accurate possible inversion operators are mathemat-
ically complicated, because accurate balance relations
u ¼ uB are mathematically complicated (seeDynamic
Meteorology: Balanced Flow).

r2
S þ 1

r
q
qz

rf 2

N2

q
qz

� �
½15�

Integral Constraints and ‘PV
Substance’

The integral relations [8] do not depend on material
invariance. They depend only on Stokes’ theorem and
on Ertel’s exact definition of the PV. Therefore they
hold for any fluid motion whatever, forced, dissipat-
ing, or dissipationless. For various choices of the

bounding material contour G, [8] therefore represents
a completely general class of integral properties of the
PV, as contrasted with [11] and [12], which depend on
material invariance. For instance, in the atmosphere
many of the isentropic surfaces S span the globe,
namely those with y\300K. They are topologically
spherical and have no boundary. For any such S, the
integral relation [16] holds,

ZZ
S
Ps dA ¼ 0 ½16�

imposing a severe constraint on the possible evolution
of isentropic distributions of PV on each such S, and
thence, through PV inversion for balanced flow, a
severe constraint on the possible evolution of the entire
flow.

Recognition of such constraints has been helpful
toward explaining one of the past enigmas of atmos-
pheric science, namely why the old ‘eddy viscosity’
paradigm fails so catastrophically, when dealing with
global-scale angular momentum transport by eddies
defined as fluctuations about the zonal mean. The full
explanation refers also to the fact that the Rossby-
wave mechanism is inescapably involved in all such
fluctuations, because of the f term in [3].On the global
or planetary scale there is no such thing as pure
‘turbulence.’ With wavelike processes involved, fluc-
tuating fields are correlated such that momentum
transport becomes a long-range process, at an oppo-
site extreme to all classical ‘turbulence’ scenarios. One
outcome, very commonly, is the antifrictional be-
havior, or ‘negative viscosity’ as V. P. Starr called it,
thatwas flagged as amajor enigma in the closing pages
of E.N. Lorenz’s landmarkmonograph onTheNature
and Theory of the General Circulation of the Atmos-
phere, published in 1967. Such behavior can be shown
to be an almost inevitable consequence of [16] and
PV invertibility, and is an important part of under-
standing the dynamics of global-scale atmospheric
circulations, including the stratospheric or transport
Brewer–Dobson circulation.

Consistently with [16], one may picture P as the
amount per unit mass of a fictitious ‘PV substance’
composed of charged particles to which the isentropic
surfaces S are impermeable. They are impermeable
even if the motion is not adiabatic. Even if mass leaks
diabatically across a surface S, the notional particles
remain trapped on that surface. This statement is
sometimes called the ‘impermeability theorem’ for PV
substance or ‘PV charge’.

To prove the theorem, one merely repeats the
derivation leading to the flux-form conservation
equation [9] with diabatic heating and arbi-
trary external forces included. It is easy to show first
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that the resulting equation is still of the form
qð Þ=qt þr . ð Þ ¼ 0, i.e., that it is a conservation
equation in flux form – there are no source and sink
terms – and second that the flux itself, the vector field
acted on by the three-dimensionalr operator, naturally
takes such a form that it represents zero transfer across
moving isentropic surfaces. Of course one can always
change the picture by adding an identically nondiver-
gent vector field to the flux. But that is arguably an
unnecessary complication, for reasonsmade clear in the
recent work of C. S. Bretherton and C. Schär.

The ‘PV charge’ envisaged in this picture is con-
served in just the same way as electric charge. That is,
pair production and annihilation are allowed, but no
net charge creation or destruction. Just as s dA dy is
the mass element, PsdA dy is the charge element. The
picture is consistent with [16] because the value, zero,
of
R R

PsdA cannot be changed by pair production and
annihilation. Nor can it be changed by the advective
rearrangement of the notional particles on the surface
S by any layerwise-two-dimensional motion. PV
substance or charge has no net source or sink within
the fluid domain; apart from pair production and
annihilation it can be created or destroyed only where
isentropic surfaces intersect boundaries.

Here, it should be noted, the terms ‘source’ and
‘sink’ are being used in precisely the same sense as in
chemistry. The reader is warned that the word ‘source’
is commonly used in one sense for chemicals and in
another for PV. In any consistent use of the analogy
with chemicals, we must consider PV substance or
charge to be chemically inert, apart from pair produc-
tion and annihilation. It is necessary, of course, to
recognize when using the analogy with chemicals that
P is the amount of PV substance or PV charge per unit
mass, so that the chemical mixing ratio is the quantity
to which P is analogous. Clearly an inert chemical can
be diluted or concentrated. An extreme example is the
formation of tropical cyclones, in which, in terms of
the foregoing picture, PV charge is advected inwards
along isentropic surfaces and greatly concentrated
near the center of the cyclone. The concentrationmust
take place, according to the impermeability theorem,
because the notional charged particles are trapped on
the isentropic surfaces and cannot escape vertically.
Such processes do not create any net PV charge but do
create strong isentropic anomalies in PV values or
charge concentration, whose inversion may yield
hurricane-force winds.

See also

Anticyclones. Baroclinic Instability. Buoyancy and
Buoyancy Waves: Theory. Cyclogenesis. Dynamic
Meteorology: Balanced Flows; Waves. General Circu-

lation: Momentum Budget. Hamiltonian Dynamics.
Hurricanes. Jet Streaks.Middle Atmosphere: Plane-
tary Waves; Polar Vortex; Transport Circulation. Ozone:
Ozone Depletion. Quasi-geostrophic Theory. Rossby
Waves. Static Stability. Stratosphere–Troposphere
Exchange: Global Aspects. Teleconnections. Tropo-
pause. Turbulence, Two Dimensional. Vorticity.
Wave Mean-Flow Interaction.
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Introduction

Confusingly, the term ‘primitive equations’ has several
meanings in meteorological dynamics. At its most
general, it denotes any theoretical or numerical
formulation in which velocity components are the
chosen flow variables. Since Newton’s second law of
motion relates the rate of change of momentum
(5mass� velocity) to the net force acting, such a
choice is a natural step; hence – perhaps – the epithet
‘primitive’. For the horizontal flow, one alternative to
a primitive description is the use of 2D vorticity and
divergence as flow variables.

In a general sense, then, the primitive equations are
the components of the momentum equation itself, as
distinct from derived forms such as vorticity or
divergence equations. The term is often extended to
include the other equations needed to consistently
determine the time evolution of the flow and thermo-
dynamic fields.

In a specific sense, the term ‘primitive equations’ is
used as an abbreviation for ‘the hydrostatic primitive
equations with the shallow atmosphere approxima-
tion’. Early computer models of the large-scale
atmosphere were based on geostrophically balanced
vorticity dynamics. The use of the primitive equations
was a development of the 1960s, and today most
numerical weather prediction and climate simulation
models are based on them. Sometimes they are
integrated not in their velocity component forms but
in derived vorticity and divergence forms, and here a
difficulty of terminology arises: one may hear of ‘the
vorticity and divergence form of the primitive equa-
tions’ – in apparent contradiction to the definition
given earlier! In this usage, ‘primitive equations’
alludes to the inclusion of gravity wave motion, the
distinction being made from geostrophically balanced

vorticity models (or other balanced models) in which
time evolution of the divergence via a forecasting
equation is not allowed and gravity waves cannot
occur.

Lorenz (1967) commented on the established use of
the term ‘primitive equations’ to denote the hydro-
static primitive equations with the shallow atmos-
phere approximation: ‘Apparently it was thought
unlikely that anyone would use the exact equations,
which are more primitive than the primitive equa-
tions’. Nowadays, equations more accurate than the
hydrostatic primitive equations (HPEs) are being used
increasingly as the foundation of meteorological
models. Accordingly, the outline derivation (given in
the next section) of the HPEs from the exact vector
momentum equation notes twobetter approximations
as well as the HPEs themselves. The HPEs are
discussed in the third section, as are the shallow-water
equations (a simpler formulation much used for
theoretical exploration and numerical testing).

TheMomentumEquation, Its Spherical
Polar Components, and Three
Consistent Approximations

Newton’s second law of motion is the main physical
basis for forecasting flow in the atmosphere and
oceans. For an element of fluid, a convenient expres-
sion of it is

Du

Dt
Acceleration

¼ � arp
PGF

þ F
Other forces

½1�

Here, u is the velocity of the element of fluid, a its
specific volume, and p pressure; F is the net force per
unit mass, except for the pressure gradient force (PGF)
which is given by the term �arp, r being the 3D
gradient operator. D=Dt is the material derivative; it
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gives the rate of change of its operand following the
fluid element.

To use eqn [1] to forecast u, we need to know F, a,
and p aswell as the present field of u. F includes gravity
and friction. The need to know a and p draws
thermodynamics and mass continuity into the prob-
lem, but herewe focus on [1], and assume thatF, a, and
p are known; the equations used to forecast a and p
will be noted in the section on the HPEs. The spatial
components of eqn [1] are primitive equations in the
general sense.

Newton’s second law applies to velocity and its rate
of change measured in an inertial (i.e., nonaccelerat-
ing) frame. Relative to a rotating frame, such as that of
the Earth, a fluid element may appear to be changing
its direction of motion when relative to an inertial
frame it is not. Effects of this type are precisely allowed
for by a simple transformation rule. Let D=Dt be the
rate of change seen in an inertial frame, and D=DtO be
the rate of change seen in a frame rotating with the
Earth’s angular velocity X; then for any vector A,

DA

Dt
¼ DA

DtO
þX3A ½2�

Clearly (see Figure 1) if A ¼ r ¼ position vector
relative to the Earth’s centre, the velocities u ð¼

Dr=DtÞ and uOð¼ Dr=DtOÞ measured in the inertial
and rotating frames are related by

u ¼ uO þX3 r ½3�
By setting A ¼ u in eqn [2] and using eqn [3] on the
right-hand side, we find that

Du

Dt
¼ DuO

DtO
þ 2X3 uO þX3 ðX3 rÞ ½4�

This equation is a great step forward because it allows
us to write Newton’s second law (eqn [1]) in terms of
the velocity uO and the acceleration DuO=DtO meas-
ured in the rotating frame:

DuO
DtO

¼ � 2X3 uO
Coriolis

�X3 ðX3 rÞ
Centrifugal

� arp
PGF

þ F
Other forces

½5�
The Coriolis and centrifugal forces (per unit mass) are
as indicated beneath eqn [5]. Their presence enables us
to work – and think – in terms of quantities measured
or defined relative to the rotating Earth, while still
respecting Newton’s laws of motion.

The Coriolis force, �2X3 uO in eqn [5], acts in
planes perpendicular to the Earth’s rotation axis, and
depends on the component of the relative velocity uO
in such planes but not on the component of uO parallel
to the Earth’s rotation axis.

The centrifugal force,�X3 ðX3 rÞ in eqn [5], also
acts in planes perpendicular to the Earth’s rotation
axis, but depends on perpendicular distance s (see
Figure 1) and not at all onuO. It acts outwards, and can
be expressed as the gradient of a scalar potential:

�X3 ðX3 rÞ ¼ rðO2 s2=2Þ ½6�
The term F in eqn [5] consists of Newtonian gravity,

which can be represented as the (down-) gradient of a
scalar potential, say FNewt, and the remaining force
FRem (mainly friction):

F ¼ �rFNewt þ FRem ½7�
It is usual to define apparent gravity�gk ¼ �rFApp as
the vector sum of Newtonian gravity and centrifugal
force (as given by eqn [6]). Here g is the magnitude of
apparent gravity, k the unit vector in the direction of
apparent vertical and FApp the apparent gravitational
potential:

�gk ¼ �rFNewt �X3 ðX3 rÞ
¼ �rðFNewt � O2 s2=2Þ ¼ �rFApp

½8�

g is the quantity measured by a pendulum or a gravity
meter, and apparent vertical is the (upward) direction
indicated by a plumb line – all observations being

s

r

P i

�

Ω

Ω × r

−Ω × (ΩΩ × r )
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made in the frame of the rotating Earth. Equation [5]
may now be written as

DuO
DtO

¼ �2X3 uO � gk� arpþ FRem ½9�

Consider orders of physical magnitude of some of the
terms in eqn [9].

Apparent gravity varies slightly with position in the
atmosphere, but its order of magnitude value is
10m s� 2. At latitude f (Figure 2), the centrifugal
force contribution has magnitude O2r cosf;
its components parallel and perpendicular to
Newtonian gravity are (very nearly) O2r cos2 f and
O2r sinf cosf. Taking O ¼ 2p=1dayF 7�10�5 s�1

and rF 6:4�106 m gives O2rF 3:2�10�2 ms�2: the
contribution of centrifugal force to apparent gravity is
at least 300 times smaller than the Newtonian contri-
bution. Similarly, the deflection of the vertical due to
centrifugal effects is less than 1

300 radians in the
atmosphere (the maximum value being attained at
7451 latitude, where sinf cosf has its extreme
values).

An upper bound to the magnitude of the Coriolis
force is 2OjuOj; taking juOjF 50m s�1 – a large value
for the troposphere and stratosphere – gives
2OjuOjF 0:7�10�2 m s�2. The Coriolis force is thus
typically much smaller even than the centrifugal force
– but to neglect it would be disastrous. In planes
perpendicular to apparent vertical, i.e., in horizontal

planes, apparent gravity has no component; the
component of the Coriolis force in this plane can be
very important (particularly in the dynamics of extra-
tropical weather systems).

Havingderived eqn [9] as the rotating-frameversion
of the momentum equation, we drop the subscriptsO:
from now on, u and D=Dt signify the velocity and the
rate of change as measured in the rotating system. The
form we shall work with is

Du

Dt
¼ �2X3 u� gk� arpþ FRem ½10�

Because of centrifugal effects, the surfaces of constant
apparent gravitational potential FApp are essentially
non-spherical, but – as we have noted – the contribu-
tion of centrifugal force to apparent gravity is very
small. The procedure in meteorological dynamics
(Lorentz 1967, Phillips 1973, Gill 1982, Holton
1992) is: (1) to separate the components of [10]
perpendicular and parallel to apparent vertical k, but
(2) then to treat the surfaces of constantFApp (towhich
k is perpendicular) as if they were spheres.

Consider a spherical polar coordinate system in
which l is longitude, f latitude, r distance from the
Earth’s centre,O, and i, j, and k the local triad of unit
vectors associated with l, f, and r (Figure 3). If the
zonal, meridional and vertical components of u are u,
v, and w, i.e.,

u ¼ uiþ vjþwk ½11�

s = r cos �

�
Ω

r

�

P

B

O

Tension

Centrifugal force
= Ω2 r cos �

Newtonian
gravity

Figure 2 A unit-mass pendulum bob B, at rest relative to the

rotatingEarth, is in equilibriumunderNewtoniangravity, centrifugal

force and the tension in the (short) string by which it is suspended

from point P at latitude f. To a good approximation, the angular

deflection aof the stringPB from the radiusOP (O5Earth’s center)

is given by the representation ga ¼ O2r cosf sinf of the balance

between the meridional components of tension and centrifugal

force.

j, �

k, w

i, uP

r

O �

�

Figure 3 Spherical polar coordinates ðl; f; rÞ of a point P

relative to Earth’s center O as origin. The local unit vector triad

i; j; k and associated velocity components u; v ; w are also shown.
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then

Du

Dt
¼Du

Dt
iþDv

Dt
jþDw

Dt
k

þ u
Di

Dt
þ v

Dj

Dt
þw

Dk

Dt ½12�
The terms involving thematerial derivatives of i, j, and
kmay be simplified by observing that the rotation rate,
relative to the Earth, of the unit vector triad as it
follows the flow, is

XT ¼ � v

r
iþ u

r
jþ u tanf

r
k ½13�

(Figure 4). Application of a rule similar to [2] gives

Di

Dt
¼ XT 3 i

Dj

Dt
¼ XT 3 j

Dk

Dt
¼ XT 3 k ½14�

Hence [12] can be written simply as

Du

Dt
¼ Du

Dt
iþDv

Dt
jþDw

Dt
kþXT 3 u ½15�

By noting that the Earth’s rotation vectorXmay be
expressed as

X ¼ O ðj cosfþ k sinfÞ ½16�
and by using eqns [11], [13], and [15], one obtains the
zonal ðiÞ, meridional ðjÞ, and vertical ðkÞ components
of eqn [10] as:

Du

Dt
¼ � uw

r
þ uv

r
tanfþ 2Ov sinf

�2Ow cosf� a
r cosf

qp
ql

þ Fl ½17�

Dv

Dt
¼� vw

r
� u2

r
tanf

� 2Ou sinf� a
r

qp
qf

þ Ff ½18�
Dw

Dt
¼ u2

r
þ v2

r
þ 2Ou cosf� g� a

qp
qr

þ Fr ½19�

The left-hand terms in eqns [17]–[19] are the rates of
change of the velocity components. The terms quad-
ratic in the velocity components andhaving 1=r factors
are the metric terms. They are of two types: those
which reflect the intrinsic uniform curvature of the
sphere, and those (involving tanf) which reflect the
curvature of the spherical polar coordinate system.
The terms involvingO are the Coriolis terms. They too
divide into two sets: those proportional to O sinf and
those proportional to O cosf; from [16], O sinf and

O cosf are respectively the vertical and horizontal
components of the Earth’s rotation vectorX at latitude
f. The vertical component equation, eqn [19], con-
tains the entire contribution of (apparent) gravity.
Next come the components of the pressure gradient
force in the ðl; f; rÞ system, and finally the compo-
nents of the remaining force per unit mass:
FRem ¼ Fliþ Ffjþ Frk.

The material derivative D=Dtmay be written as the
sum of the local time derivative q=qt and an advective

j

k

r

��

� �t

�

P

O

Ω

Arc of longitude
circle

Polar
 axis

i

j

k

r cos �

��

u �t

�

Arc of latitude
circle

90° E

0° E

(A)

(B)

Figure 4 (A) A meridional plane through the instantaneous

position P of the unit vector triad i; j; k. Displacement v dt in time dt
due to meridional motion leads to rotation of the unit vector triad

throughan angle df ¼ v dt=r about the local zonal axis, and thus to
a rotation rate� v=r i. (B) A plane perpendicular to the Earth’s

rotation axis and passing through the instantaneous position P of

the unit vector triad i; j; k. Displacement u dt in time dt due to

zonal motion corresponds to rotation of the unit vector triad

throughanangle dl ¼ u dt =r cos f about theEarth’s rotation axis,

and thus to a rotation rateu=r cos f ðj cos fþ k sin fÞ ¼
ðu=rÞjþ ðu tanf=rÞk (unit vector along the Earth’s rotation axis

being j cos fþ k sin f).
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term ðu .rÞ. In our spherical polar coordinate system
(recall Figure 3):

D

Dt
¼ q

qt
þ u

r cosf
q
ql

þ v

r

q
qf

þw
q
qr

½20�

Equations [17]–[19] embody or imply various
conservation laws. Upon noting that w ¼ Dr=Dt and
v ¼ rDf=Dt, the zonal component (eqn [17]) can be
written

D

Dt
fðuþ Or cosfÞ r cosfg

¼ �a
qp
ql

þ Flr cosf ½21�
This is a conservation law for absolute axial angular
momentum per unit mass; the terms on the right-hand
side represent torques due to the zonal components of
the pressure gradient force and other forces.

A conservation law for the sum of kinetic and
potential energy per unit mass is obtained by multi-
plying eqns [17]–[19] by the corresponding compo-
nents of u and adding the results:

D

Dt
1
2u

2 þ gz
� � ¼ �au .rpþ u .FRem ½22�

Equation [22] could have been obtained directly from
the vectormomentumequation [9] by taking the scalar
product with u. Indeed, eqns [17]–[19] can be derived
by working backwards from eqns [21] and [22]; see
White (2002).

By applying the thermodynamic and continuity
equations to the right-hand side of eqn [22], a
conservation law for total energy (i.e. kinetic1poten-
tial1internal) may be derived, but this lies outside our
scope. A conservation law for potential vorticity can
also be obtained.

All of these laws can be shown to stem from the
Hamiltonian structure of the governing equations. In
deriving approximate versions of the governing equa-
tions, the conservation laws should be respected, and
the Hamiltonian structure can be used to ensure this.
There are two ways in which approximation can be
carried out consistently (Roulstone and Brice 1995):
(1) the Hamiltonian can be modified; or (2) the
geometric framework can be modified. One way of
modifying theHamiltonian is to omit the contribution
of w to the kinetic energy; this generates approxima-
tions of hydrostatic type, in which the term Dw=Dt is
omitted from eqn [19]. The geometric approximation
of replacing the spherical polar volume element
r2 cosf dl df dr by a2 cosf dl dfdr, where a is a
constant representative value of r, delivers approxi-
mations of shallow atmosphere type, in which some of
the metric and Coriolis terms are omitted from eqns

[17]–[19]. In the hydrostatic and shallow-atmosphere
scenario (Staniforth 2000) there are thus three (and
only three) consistent approximations:

� If the shallow-atmosphere approximation is not
made but Dw=Dt is omitted from eqn [19] then the
quasi-hydrostatic equations described byWhite and
Bromley (1995) result.

� If the shallow-atmosphere approximation is made,
and both Dw=Dt and Fr are omitted from eqn [19],
then the result is the hydrostatic primitive equations
(HPEs):

Du

Dt
¼ uv

a
tan fþ 2Ov sinf

� a
a cosf

qp
ql

þ Fl ½23�

Dv

Dt
¼ � u2

a
tan f� 2Ou sinf� a

a

qp
qf

þ Ff ½24�

gþ a
qp
qz

¼ 0: ½25�

Here z 5 height above mean sea level. The material
derivative is now given by

D

Dt
¼ q

qt
þ u

a cosf
q
ql

þ v

a

q
qf

þw
q
qz

½26�

with u ¼ a cosf ðDl=DtÞ, v ¼ a ðDf=DtÞ and
w ¼ ðDz=DtÞ. Equation [25] expresses hydrostatic
balance.

� If the shallow-atmosphere approximation is made
and Fr is omitted from [19] but Dw=Dt is kept then
the nonhydrostatic, shallow-atmosphere (NHS)
model of Tanguay et al. (1990) results; eqns [23],
[24], and [26] are unchanged but [25] becomes

Dw

Dt
¼ �g� a

qp
qz

½27�

The Coriolis terms proportional to cosf are omitted
in the HPEs and the NHS model. These omissions –
sometimes referred to as the traditional approxima-
tion – amount to a change in the direction of the
Coriolis force (as well as in its magnitude): from [16],

2X3 u ¼ 2O ðk3 u sinfþ j3 u cosfÞ ½28�
Whereas the true Coriolis force acts perpendicular to
the Earth’s rotation axis, the shallow-atmosphere
Coriolis force acts in local horizontal planes.

The metric terms omitted in the HPEs and the NHS
model are those not involving tanf, i.e., those
representing the curvature of the sphere rather than
the curvature of the spherical polar coordinate system.
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In the triad rotation rateXT (see eqn [13]), r is replaced
by a and only the vertical component remains. The
geometric character of the shallow atmosphere ap-
proximation is to neglect the curvature of great circles;
the curvature of small circles (such as latitude circles
except the equator) is retained, but slightly underes-
timated. An equivalent statement is that the diver-
gence of the Earth’s radii is neglected.

The Hydrostatic Primitive Equations
(HPEs)

The HPEs consist of eqns [23] and [24] as forecasting
equations for u and v, eqn [25] as a diagnostic relation
between a and p, and the equations necessary to
forecast a and p and to diagnose w. (A ‘diagnostic’
equation contains no time derivatives.) To forecast a
andp, the following forms of the (mass) continuity and
thermodynamic equations may be used:

Da
Dt

¼ ar . u ½29�

cv
Dp

Dt
¼ �pcpr .uþ rRQ ½30�

Here ðD=DtÞ and r . u are both shallow atmosphere
forms: eqn [26] gives ðD=DtÞ, and

r . u � 1

a cosf
qu
ql

þ q
qf

ðv cosfÞ
� �

þ qw
qz

½31�

In eqn [30], Q is the diabatic heating rate per unit
mass, cp and cv are the specific heats of air at constant
pressure and volume, R ¼ cp � cv, and perfect gas
behaviour is assumed.

An expression for w (in terms of u; v; r; p; their
derivatives and certain integrals) may be obtained
from the condition that eqns [29] and [30] give values
of a and p that satisfy [25]. That expression, derived
(before 1922) by L. F. Richardson and known as
‘Richardson’s equation’, is not given here. In physical
terms, w adopts that configuration which maintains
hydrostatic balance as the fields of u; v; r and p evolve
in time; see White (2002).

The temperature T may be determined at any time
from the perfect gas equationp ¼ rRT, and from it the
potential temperature y:

y � T
pref
p

� �R=cp

½32�

The constant pressurepref is usually taken as 1000 hPa.
Different forms of the HPEs may be derived by using
T, y or density r ð¼ 1=aÞ as forecasting quantities
rather than a and p.

What are the conditions for applicability of the
HPEs? The replacement of r by a requires that the
depth of the atmosphere should be small compared
with the Earth’s mean radius (B6370 km). Since 90%
of the mass of the atmosphere lies below 17 km, this
requirement is well satisfied. Other conditions relate
to the terms omitted from the original component
equations. Scale analysis (White and Bromley 1995)
suggests that the Coriolis terms in cosf are negligible
if 2OH cosf=U � 1, H being a height scale of the
motion and U a typical horizontal flow speed; substi-
tuting representative values gives 2OH=UF 10�1.
More tangibly, the term �2Ow cosf in eqn [17]
describes the conservation of absolute axial angular
momentum in axisymmetric vertical motion, which
can lead to changes of zonal flow speed of up to 2m s�1

over the depth of the tropical troposphere; this effect is
not described by the HPEs. Linearised adiabatic
analyses suggest that the cosf Coriolis terms are
negligible if 2O � N, where N � ½ðg=yÞ dy=dz�1=2 is
the buoyancy frequency. Since 2O � 10�4 s�1 and
N � 10�2 s�1, this condition is generallywell satisfied.
Although the omission of the cosf Coriolis terms is
the most striking approximation of the HPEs as
applied to large-scale motion – particularly diabatic-
ally-forced motion in the tropics – their inclusion
seems to make little difference in numerical weather
prediction and climate simulation.

The criterion most often quoted for the neglect of
the vertical acceleration term Dw=Dt is H � L, L
being a horizontal length scale of the motion; this is
well satisfied by many flow phenomena, for example
midlatitude weather systems, for whichH=L � 10�2.
Amore discriminating criterion (which covers cases in
which H=L � 1 but the neglect of Dw=Dt is still a
good approximation) is that the Lagrangian time scale
t of the motion should be large compared with that of
vertical buoyancy oscillations (which are essentially
nonhydrostatic): t � N�1. Thus the HPEs require for
their validity that N should be large compared with
some threshold value, both as regards the cosf
Coriolis terms and Dw=Dt; they do not remain valid
as N ! 0.

The horizontal component eqns [23] and [24]
may be written in various useful alternative forms. A
vector form, in terms of the horizontal flow v ¼
ðu; v; 0Þ is

qv
qt

¼�rz
v2

2

� �
�w

qv
qz

� ðzþ f Þk3 v� arzpþ Fh ½33�

Here f � 2O sinf (and is customarily called the
Coriolis parameter), Fh � Fliþ Ffj, and the horizon-
tal gradientrz operator and the vertical component of
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vorticity z are given by

rz � 1

a cosf
q
ql

;
1

a

q
qf

; 0

� �
½34�

z � 1

a cosf
qv
ql

� q
qf

ðu cosfÞ
� �

½35�

Equation [33] is a ‘vector invariant’ form; note that an
advection term of the form�ðv .rzÞ v is not found – it
would contain a small vertical component because of
the curvature of the sphere. From eqn [33], by taking
the horizontal curl and divergence, may be obtained
forecasting equations for the vorticity z (see eqn [35])
and horizontal divergence d given by

d ¼ rz . v � 1

a cosf
qu
ql

þ q
qf

ðv cosfÞ
� �

½36�

The resulting equations (not given) are the vorticity
divergence forms of the HPEs. Other useful forms of
eqns [23] and [24] involve u cosf and v cosf under
the material derivative; these quantities have better
transformation properties on the sphere than have u
and v.

The conservation properties of theHPEs are assured
by their Hamiltonian structure. Axial angular mo-
mentum conservation follows from the zonal compo-
nent equation, eqn [23]:

D

Dt
fðuþ O a cosfÞ a cosfg

¼ �a
qp
ql

þ Fla cosf
½37�

(cf. eqn [21]). Total energy (kinetic1potential1inter-
nal) obeys the conservation law

D

Dt
1
2v

2 þ gzþ cvT
� � ¼ �ar . ðpuÞ þQþ v . F ½38�

and the HPE potential vorticity law is

D

Dt
ðaZ .ryÞ ¼ aZ .r Dy

Dt

� �
þry . ðr�FhÞ ½39�

In [39],Z is the 3DHPE shallow-atmosphere absolute
vorticity vector given by

Z ¼ � qv
qz

iþ qu
qz

jþ ðf þ zÞ k ½40�

Equation [39] expresses the conservation of the HPE
potential vorticity, aZ .ry, in flow which is friction-
less ðFh ¼ 0Þ and adiabatic ðDy=Dt ¼ 0Þ. Neither the
HPE specific kinetic energy 1

2v
2 nor the horizontal

components of the HPE absolute vorticity Z involve
the vertical velocity w. (Z also omits the contribution
2O cosf j of the horizontal component of the Earth’s

rotation to the true absolute vorticity.) In each of eqns
[37]–[39], D=Dt is the shallow-atmosphere form (eqn
[26]).

The consequences of eqn [25] are indeed extensive
and profound. As already noted, the vertical velocity
component must be found diagnostically rather than
prognostically. In addition, a can be eliminated in
favour of qp=qz if desired. A third consequence –
probably the most important – is that pressure
becomes an attractive choice of vertical coordinate; a
1:1 correspondence between p and z is assured because
a (and g) are necessarily positive quantities.

Use of pressure as vertical coordinate simplifies both
the HPEs and their time integration. The horizontal
gradient term arzp in eqn [33] becomesrpðgzÞ,where
rp is the horizontal gradient operator on pressure
surfaces, and z (nowadependent variable) is the height
of a pressure surface at any time and horizontal
location. Themajor simplification, however, is that the
continuity equation (eqn [29]) becomes a simple
diagnostic form:

rp . vþ qo
qp

¼ 0 ½41�

Here o � Dp=Dt is the pressure coordinate ‘vertical
velocity’ and

rp . v � 1

a cosf
q
ql

����
p

uþ q
qf

����
p

ðv cosfÞ
" #

½42�

The material derivative [26] is given in ‘pressure
coordinates’ by

D

Dt
¼ q

qt

����
p

þ u

a cosf
q
ql

����
p

þ v

a

q
qf

����
p

þo
q
qp

½43�

and involveso rather thanw. In eqns [42] and [43] all
the differentiationswith respect to l,f, and t are taken
at constant pressure. The derivative q=qp is taken at
constant l, f, and t, i.e. still in the vertical direction.

From eqn [41], using appropriate boundary condi-
tions, the ‘vertical velocity’ o may be found by
integration over p; this procedure parallels the deri-
vation of Richardson’s equation in height coordinates
(see above), but the functions involved are fewer and
simpler.

In the pressure coordinate system, the thermody-
namic equation is conveniently rewritten as a fore-
casting equation for temperature T:

DT

Dt
¼ RT

pcp
oþQ

cp
½44�

In broad outline, the time integration procedure (as
applied to appropriately discretized forms of the
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equations, and assuming required initial values
known) is:

1. forecast u, v, and T using eqns [23], [24], and [44];
2. find surface pressure ps and then o from eqn [41];
3. find z from ps, the terrain height zs and the

hydrostatic equation in the form

qz
qp

¼ � gp

RT
½45�

4. repeat (1)–(3) until the desired forecast time or
simulation length has been attained.

The use of p as vertical coordinate is awkward in
practice because the Earth’s surface is not a constant
pressure surface. It is often convenient to use a terrain-
following coordinate (Figure 5) such as s ¼ p=ps, but
the time integration procedure remains essentially as
(1)–(4), above; see Haltiner and Williams (1981). As
well as p and s, many other quantities may be used as
vertical coordinates; examples are y, z � ðz� zsÞ=
ðzc � zsÞ, where zc is some constant height, and
hybrids which behave as p, s, and y (say) in different
height ranges. The equations (before discretization)
are precise transforms of the HPEs in height coordi-
nates.

As is essential for numerical weather prediction and
climate simulation, the HPEs treat the 3D structure of
the atmosphere’s flow and thermodynamic fields. A
simpler set of 2D equations, useful as a theoretical and
numerical testbed, is the shallow-water equations
(SWEs). These describe the depth ðhÞ variations and
depth-independent motion of a shallow layer of
incompressible fluid covering a gravitating sphere.
The (horizontal) momentum components of the SWEs
are

Du

Dt
¼ uv

a
tanfþ fv� g

a cosf
qh
ql

þ Fl ½46�

Dv

Dt
¼ � u2

a
tanf� fu� g

a

qh
qf

þ Ff ½47�

and the (depth-integrated) continuity equation is

Dh

Dt
¼ �hrz . v ½48�

In eqns [46]–[48], the material derivative is simply

D

Dt
¼ q

qt
þ u

a cos f
q
ql

þ v

a

q
qf

½49�

Equations [46] and [47] are similar to the horizontal
components of the HPEs (especially the p-coordinate
forms) except that no vertical variations are allowed;

equation [48] is comparable to the HPE continuity
equation (eqn [29]), with the same exclusion of
vertical variations.

Various species of wave motion are allowed by the
HPEs, and these are important both theoretically and
for practical numerical modeling. Rossby (planetary)
waves are present, as are gravity waves; both external
and internal types are permitted. Vertically propagat-
ing acoustic waves are excluded, or ‘filtered’, because
of the hydrostatic approximation. Lamb waves –
horizontally propagating compressibility waves – are
permitted by theHPEs, butmay ormay not be present,
depending on the boundary conditions applied in the
vertical. A range of special equatorial modes is also
present (Gill 1982). The SWEs mimic this richness in
that they describe depth-independent (barotropic)
Rossby waves and surface gravity waves, and have
special tropical modes; indeed, from the time of
Laplace, studies of the SWEs have helped elucidate
the physics of wave motion in the atmosphere and
oceans.

Coordinate surfaces

Mountain

Coordinate surfaces

Mountain

(A)

(B)

Figure 5 Vertical sections throughmountainous terrain showing

the behavior of vertical coordinate surfaces of systems which (A)

are, (B) are not, terrain-following. Intersection of coordinate

surfaces with the Earth’s surface, as seen in (B), complicates the

construction and operation of numerical models based on non-

terrain-following systems. In most respects, the use of terrain-

following coordinate systems, as shown in (A), is more convenient.
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When qualitative rather than quantitative results
are sought (as in exploratory theoretical work and
numerical testing) the HPEs and the SWEs are
conveniently used in simplified forms which neglect
the metric terms and replace the spherical polar
geometric factors by Cartesian ones. For example,
the SWEs may be used in the following forms:

q
qt

þ u
q
qx

þ v
q
qy

� �
u ¼ fv� g

qh
qx

þ Fx ½50�

q
qt

þ u
q
qx

þ v
q
qy

� �
v ¼ �fu� g

qh
qy

þ Fy ½51�

q
qt

þ u
q
qx

þ v
q
qy

� �
h ¼ �h

qu
qx

þ qv
qy

� �
½52�

Here x � a l cosf0 and y � aðf� f0Þ are zonal and
meridional coordinates in a Cartesian plane; as shown
in Figure 6, the domain represents a neighborhood of
latitudef0 and the full range 2p range of longitude in a
‘channel model’. The latitude variation of the Coriolis
parameter f is neglected in the ‘f -plane’ approxima-
tion. In the ‘b-plane’ approximation, f is repre-
sented as a linear function of y: f ¼ 2O sinf0þ
2Oðf� f0Þ cosf0 � f0 þ by. An ‘equatorial b-plane’
has f0 ¼ 0 and hence f0 ¼ 0, b ¼ 2O=a.

See also

Angular Momentum of the Atmosphere. Buoyancy
and Buoyancy Waves: Optical Observations; Theory.
Climate: Overview. Dynamic Meteorology: Balanced
Flows; Overview; Waves. Kinematics. Thermodynam-
ics:Moist (Unsaturated) Air; Saturated Adiabatic Process-
es. Vorticity. Weather Prediction: Regional Prediction
Models.
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Figure 6 A zone between latitudes f ¼ f0 	 Df on a sphere of

radius a (A), and a Cartesian ‘channel’ domain corresponding to it

(B). In the channel domain, cyclic conditions in x are applied;

boundary conditions in y are more problematic, since no physical

boundaries exist atf ¼ f0 	 Df in the atmosphere. The channel is

usually not a precise mapping of the zone, but is considered as a

crude approximation to it. Adopted widths Ly are often somewhat

greater than is strictly justifiable, the objective being to obtain

theoretical or numerical indications which may then be pursued in

more realistic geometrical environments.
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Introduction

Waves in the atmosphere are oscillatory motions that
result from a balance between the inertia of the
atmosphere and a restoring force. Atmospheric waves
are important because they can transmit energy and
momentum without material transport of air parcels.
Most weather disturbances are associated with one or
more types of atmospheric wave. Owing to wave
propagation, disturbances in one region can influence
the weather in a remote region on time scales much
shorter than the transit time for air parcels. In order to
predict the weather or to simulate the climate it is
necessary to properly account for the influence ofwave
propagation. Examples of important atmospheric
waves are buoyancy waves, inertia-gravity waves,
and Rossby waves. In buoyancy waves the vertical
stability of the atmosphere acts as a restoring force; in
inertia-gravity waves the Coriolis force and buoyancy
force both act as restoring forces; and in Rossbywaves
a fluid analogue of spin angular momentum (potential
vorticity) acts as the restoring force.

Phase Velocity and Group Velocity

The simplest atmospheric waves are sinusoidal oscil-
lations that satisfy linearized forms of the dynamical
equations. The dynamical equations are linearized by
assuming that all dependent field variables can be
divided into two parts, a basic state portion, which is
usually assumed to be an east–west flow independent
of time and longitude, and a disturbance portion,
which represents an oscillatory deviation of the field
from its basic state and is assumed to be sufficiently
small so that terms quadratic in the disturbance
variables can be neglected. Thus, for example, if �uu
designates a time- and longitude-averaged zonal
velocity, u0 is the deviation from that average, and x
and t designate the zonal coordinate and time,
respectively, then the complete zonal velocity field is
uðx; tÞ ¼ �uuþ u0ðx; tÞ and the inertial acceleration
u qu=qx can be written as eqn [1].

u
qu
qx

¼ ð�uuþ u0Þ q
qx

ð�uuþ u0Þ � �uu
qu0

qx
½1�

When the dynamical equations are linearized in this
fashion, and the basic state flow is sufficiently simple,
it is often possible to find analytic solutions in the form

of sinusoidal waves. For example, a sinusoidal wave
propagating in the zonal direction can be represented
by eqn [2] where jCj is the amplitude and f, the
argument of the complex exponential, is the phase.

f ðx; tÞ ¼ Re½C expðifÞ� ½2�
In a propagating wave, phase depends on time and

space. Thus, for a one-dimensional wave propagating
in the x direction, the wave phase can be represented
by fðx; tÞ ¼ kx� nt. Here the wavenumber, k, is
defined as 2p divided by the wavelength, Lx, and
frequency, n, is 2p divided by the wave period. For
zonally propagating waves, the phase is constant for an
observermovingat the zonalphase speedcx � n=k. This
may be verified by observing that if phase is to
remain constant following the motion, eqn [3] must be
satisfied.

Df
Dt

¼ D

Dt
ðkx� ntÞ ¼ k

Dx

Dt
� n ¼ 0 ½3�

where D/Dt designates differentiation following the
motion. Thus, ðDx=DtÞf¼const � cx ¼ n=k. By conven-
tion it is assumed that k > 0; then for n > 0, cx > 0, so
that phase propagates in the positive direction, while
for no0 phase propagates in the negative direction.

In some waves (for example, acoustic waves) parcel
oscillations are parallel to the direction of phase
propagation. However, most meteorologically impor-
tant waves are transverse waves in which the parcel
oscillations are perpendicular to the direction of phase
propagation.

For propagating waves, frequency generally de-
pends on the wavenumber of the perturbation as well
as the physical properties of the basic state. Thus, since
cx ¼ n=k, the phase speed also depends on the wave-
number except in the special case where n / k. For
waves in which the phase speed varies with k, the
various sinusoidal components of a disturbance orig-
inating at a given location are at a later time found in
different places. Such waves are referred to as disper-
sive, and the formula that relates n and k is called a
dispersion relationship. Some types of waves, such as
acoustic waves, have phase speeds that are independ-
ent of thewavenumber. In such nondispersivewaves, a
spatially localized disturbance consisting of a number
of Fourier wave components (a wave group) will
preserve its shape as it propagates in space at the phase
speed of the wave. For dispersive waves, however, the
shape of a wave group will not remain constant as the
group propagates. Since the individual Fourier com-
ponents of awave groupmay either reinforce or cancel

DYNAMIC METEOROLOGY /Waves 703



each other, depending on the relative phases of
the components, the energy of the group will be
concentrated in limited regions.

When waves are dispersive, the speed of the wave
group is generally different from the average phase
speed of the individual Fourier components. Hence, as
shown in Figure 1, individual wave components may
move through the group as the group propagates in
space. Furthermore, the group generally broadens in
the course of time, that is, the energy is dispersed. A
familiar example is the wake of a ship, in which
individual wave crests are observed to move twice as
fast as the wave group.

An expression for the group velocity, which is the
velocity at which the observable disturbance (and
hence the energy) propagates, can be derived by
considering the superposition of two horizontally
propagating waves of equal amplitude but slightly
different wavelengths with wavenumbers k	 dk and
frequencies n	 dn, respectively. The total disturbance
is thus given by eqn [4], where it is understood that
only the real part of the right-hand side has physical
meaning.

cðx; tÞ ¼ expfi½ðkþ dkÞx� ðnþ dnÞt�g
þ expfi½ðk� dkÞx� ðn� dnÞt�g ½4�

Rearranging terms gives eqn [5].

cðx; tÞ ¼ ½eiðdkx�dntÞ þ e�iðdkx�dntÞ�eiðkx�ntÞ

¼ 2 cosðdkx� dntÞeiðkx�ntÞ ½5�
The disturbance is the product of a high-frequency

carrier wave of wavelength 2p=k whose phase speed,

n=k, is the average for the two Fourier components,
and a low frequency envelope of wavelength 2p=dk
that travels at the speed dn=dk. Thus, in the limit as
dk ! 0, the horizontal velocity of the envelope, or
group velocity, cgx, is simply as given in eqn [6].

cgx ¼ qn
qk

½6�

This result applies generally to arbitrary wave distur-
bances provided that the wavelength of the wave
group, 2p=dk, is large compared to thewavelength of a
characteristic wave component, 2p=k.

Wave Classification

Wave activity may propagate horizontally and verti-
cally over large distances fromwave sources to regions
where transience, nonlinear wave breaking, or dissi-
pation causes interactions with the mean flow. Waves
can thus provide a strong nonlocal influence on the
momentum and heat budgets and on atmospheric
transport. The nature of the major types of wave
motions in the atmosphere can be classified according
to several wave dualities.

� Energy source. Waves can be divided into free
modes and forcedmodes. Freemodes are the normal
(i.e., resonant) modes of oscillation of the atmos-
phere. These can be excited by small random
forcing, and are limited in amplitude by dissipation.
Free planetary waves (so-called Rossby modes) of
global extent and periods of about 2, 5, and 16 days
have been detected in the atmosphere, and are
especially notable in the stratosphere. Most waves
important for weather and climate, however, are
forced modes. Examples of forced modes are
Rossby waves excited by flow over topography or
by land–ocean heating contrasts, and gravity waves
generated by convection.

� Horizontal structure. Waves can be divided into
global modes, which can propagate meridionally as
well as zonally, and equatorial modes, which are
trapped in an equatorial waveguide and propagate
zonally along the Equator. Rossby waves are the
most important global modes. Kelvin waves (a
special type of gravity wave) and Rossby-gravity
waves are the most important equatorial modes.

� Vertical structure. Waves can be divided into exter-
nal and internal modes. External modes are verti-
cally trapped; the energy density of such modes
decays exponentially in the vertical. Internal modes
are vertically propagating (phase surfaces tilt with
height); they can transfer momentum and energy
vertically over many scale heights. Under suitable
conditions, forced Rossby waves, Kelvin waves,

t=0

ct=2π

ct=4π

ct=6π

Figure 1 Propagation of a wave group. Heavy line shows group

speed; dashed line shows phase speed. (Reproduced with

permission after Holton JR (1992). Introduction to Dynamic

Meteorology, 3rd edn. San Diego, CA: Academic Press.)
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Rossby-gravity waves, and gravity waves can all
propagate vertically and transfer energy and mo-
mentum between the lower atmosphere and the
upper atmosphere.

Typical vertical distributions of forced Rossby and
gravity wave amplitudes in the extratropics are shown
schematically in Figure 2. Gravity wave amplitudes
increase exponentially with height at all seasons.
Forced Rossby waves of planetary scale propagate to
high altitudes during thewinter seasonwhen themean
zonal winds are westerly in the middle atmosphere,
but are trapped during the summer when the mean
zonal winds are easterly. Synoptic-scale Rossby waves
are trapped in the troposphere at all seasons.

Internal Gravity Waves

Basic Properties

Internal gravity waves are vertically propagating
waves associated with the buoyancy restoring force
in stably stratified fluids. Parcel oscillations in these
waves are parallel to the phase lines, and hence
perpendicular to the direction of phase propagation as
indicated in Figure 3. Thus, for example, the phase
surface corresponding to the maximum negative

temperature perturbation occurs one quarter-cycle
after the maximum upward motion, hence coinciding
with maximum upward displacement (and adiabatic
cooling) of fluid parcels.

The physical mechanism for internal gravity wave
propagation can be understood by considering a fluid
parcel displaced from its equilibrium altitude. If a
parcel is displaced a distance ds along a line tilted at an
angle a to the vertical, as shown in Figure 4, it will
undergo a vertical displacement dz ¼ ds cos a. For
such a parcel, the buoyancy force per unit mass, which
is directed in the vertical, is just �N2dz, where N2 ¼
�g d ln �rr=dz is the square of the buoyancy frequency
(with �rr the equilibriumdensity). The component of the
buoyancy force perpendicular to the parcel path is
balanced exactly by thewave’s pressure gradient force,
which is itself perpendicular to the parcel path as
shown in Figure 3. The parcel acceleration is thus
given by the component of the buoyancy force parallel
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to the parcel path (eqn [7]).

�N2ðds cos aÞ cos a ¼ �ðN cos aÞ2 ds ½7�

The momentum equation for the parcel oscillation
is then given by eqn [8].

d2ðdsÞ
dt2

¼ �ðN cos aÞ2 ds ½8�

This has the general solution ds ¼ exp½	iðN cos aÞt�.
Thus, the parcel executes a simple harmonic oscilla-
tion at the frequency n ¼ N cos a: This frequency
depends only on the static stability (measured by the
buoyancy frequencyN) and the angle of the phase lines
to the vertical.

Dispersion Relationship

In the absence of rotation, the parameters governing
two-dimensional buoyancy waves approximately sat-
isfy the dispersion relation of eqn [9].

ðn� �uukÞ2 � n̂n2 ¼ N2k2ðm2 þ k2Þ�1 ½9�

Here k ¼ 2p=Lx and m ¼ 2p=Lz are the zonal and
vertical wavenumbers, respectively, Lx and Lz are the
zonal and vertical wavelengths, and n̂n ¼ n� �uuk. The
parameter n̂n, which is the frequency relative to the
mean flow, is referred to as the Doppler shifted
frequency or intrinsic frequency. For most observed
gravity waves, eqn [10] applies.

n̂n
N

� 	 k

m
� 	cos a ½10�

a is again the angle of phase lines to the vertical. Thus
the ratio of the intrinsic wave frequency to the
buoyancy frequency determines the slope of the phase
lines. By convention, the zonal wavenumber k is
always positive, so if the frequency n is positive, the
zonal phase speed cx ¼ n=k is also positive. For waves
in which phase lines slope upward in the positive x
direction (as in Figure 2) the vertical wavenumber m
must be negative. This can be easily verified by
noting that along lines of constant phase eqn [11]
applies, so that for t constant and k positive,mmust be
negative if f is to be constant for x and z both
increasing.

f ¼ kxþmz� nt ¼ constant ½11�

In this case the negative root must then be taken in eqn
[10], since frequency is positive.

Energy propagates with the group velocity
cg � ðcgx; cgzÞ, which for the dispersion relation eqn

[10] can be expressed as eqn [12].

ðcgx; cgzÞ ¼ qn
qk

;
qn
qm

� �
¼ ð�uu; 0Þ 	 N

m2
ðm;�kÞ ½12�

For the eastward-propagating wave of Figure 3 the
negative root applies and m is negative, so that the
group velocity relative to the mean flow �uu is eastward
and upward. Since jcgz=ðcgx � �uuÞj ¼ jk=mj, the group
velocity vector relative to the mean flow is parallel to
lines of constant phase. Thus, energy propagates
eastward and upward relative to the mean flow as
phase propagates eastward and downward – phase
and energy propagate in opposite directions in the
vertical!

Most gravity waves have sources at the surface or in
the troposphere and propagate energy upward into the
stratosphere. They thus have downward phase prop-
agation as in Figure 3. Gravity waves of periods
greater than a few hours are influenced by the Coriolis
effect, which causes parcel trajectories to be elliptical
rather than linear. For a detailed discussion of these
waves see Buoyancy and Buoyancy Waves: Theory.

Rossby (Planetary) Waves

The wave type that is of most importance for large-
scale meteorological processes in the troposphere and
the stratosphere is the Rossby wave, or planetary
wave. In its most general sense the Rossby wave owes
its existence to the latitudinal gradient of potential
vorticity. This gradient causes fluid parcels that are
displaced in latitude to develop anomalous potential
vorticity,which induces velocity anomalies that in turn
produce further anomalies in potential vorticity. For
an illustration of the mechanism of the Rossby wave
see Dynamic Meteorology: Overview.

Barotropic Rossby Waves

The simplest Rossby waves occur in the case in which
motions are nondivergent and barotropic (i.e., inde-
pendent of depth). Such conditions are a reasonable
first approximation for the flow at the 500 hPa level
(mid-troposphere). The dispersion relationship for
barotropic Rossby waves may be derived formally by
finding wave-type solutions of the linearized baro-
tropic vorticity equation. The barotropic vorticity
equation states that the vertical component of absolute
vorticity, zþ f , is conserved following the horizontal
motion. Here z is the relative vorticity owing to the
winds and f is the planetary vorticity (or Coriolis
parameter) due to the rotation of the Earth. The
analysis is facilitated by use of the mid-latitude beta-
plane approximation. In this approximation the var-
iation of the planetary vorticity with latitude is
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approximated by expanding the latitudinal depend-
ence of the Coriolis parameter, f � 2O sin f (where O
is the angular velocity of rotation of the Earth, andf is
latitude) in aTaylor series about a reference latitudef0

and retaining only the first two terms of the series to
yield f ¼ f0 þ by, where f0 and b are, respectively, the
values of f and df=dy evaluated at the reference
latitude f0. With this approximation, eqn [13] gives
the barotropic vorticity equation.

q
qt

þ u
q
qx

þ v
q
qy

� �
zþ bv ¼ 0 ½13�

The flow is assumed to consist of a constant basic
state zonal velocity plus a small horizontal perturba-
tion. Since the horizontal velocity in the barotropic
model is nondivergent, the perturbation velocity can
be represented in terms of a perturbation streamfunc-
tion (eqn [14]).

u0 ¼ � qc0

qy
v ¼ v0 ¼ qc0

qx

z ¼ z0 ¼ qv0

qx
� qu0

qy
¼ r2c0

½14�
The linearized form of eqn [13] is then given by
eqn [15].

q
qt

þ �uu
q
qx

� �
r2c0 þ b

qc0

qx
¼ 0 ½15�

A solution of eqn [15] can be obtained in the form of
eqn [16].

c0 ¼ RefC exp½iðkxþ ly� ntÞ�g ½16�
Here k and l are wavenumbers in the zonal and
meridional directions, respectively. Substituting from
eqn [16] into eqn [15] and solving for cx ¼ n=k yields
eqn [17].

cx ¼ �uu� b
k2 þ l2

½17�

According to eqn [17] the zonal phase propagation
of Rossby waves is always westward relative to the
mean zonal flow and depends inversely on the square
of the horizontal wavenumber. Therefore, Rossby
waves are dispersive waves. This result is consistent
with the fact that the advection of planetary vorticity,
which tends to make disturbances propagate west-
ward, increasingly dominates over relative vorticity
advection as the wavelength of a disturbance increas-
es. For a typical mid-latitude synoptic-scale distur-
bance,with similarmeridional and zonal scales ðl � kÞ
and zonal wavelength of order 6000 km, the Rossby
wave phase speed relative to the zonal flow calculated
from eqn [10] is approximately �8m s� 1. Since the

mean zonal wind near the 500 hPa level in mid-
latitudes is generally greater than 8m s� 1, synoptic-
scale Rossby waves usually move eastward, but at a
phase speed relative to the ground that is somewhat
less than the mean zonal wind speed.

For longer wavelengths, the westward Rossby wave
phase speed may be large enough to balance the
eastward advection by the mean zonal wind so that
the resulting disturbance is stationary relative to the
surface of the earth. From eqn [17] the barotropic
Rossby wave solution is stationary relative to the
ground ðcx ¼ 0Þ when eqn [18] holds.

ðk2 þ l2Þ ¼ b
�uu

½18�

The group velocity for barotropic Rossby waves is
given by eqn [19].

ðcgx; cgyÞ ¼ qn
qk

;
qn
ql

� �
¼ �uuþ bðk2 � l2Þ

ðk2 þ l2Þ2 ;
2bkl

ðk2 þ l2Þ2
" #

½19�
Unlike the Rossby wave phase speed, which is

always westward relative to the mean flow, the zonal
component of group velocity may be either eastward
or westward relative to the mean flow, depending on
the ratio of the zonal and meridional wavenumbers.
Eastward (i.e., downstream) propagation is believed
to be important for the development and evolution of
tropospheric weather disturbances in the westerlies of
the extratropical regions. For stationary modes, the
phase velocity relative to the mean flow is westward,
but the zonal component of group velocity is always
eastward, as can be seen by substituting �uu ¼ b=ðk2 þ
l2Þ into eqn [19]. In that case Rossby wave dispersion
produces downstream propagation of energy.

Stationary Rossby modes (i.e., modes with cx ¼ 0)
are strongly excited by flow over major mountain
ranges. Suchwaves can be illustrated by the barotropic
vorticity equation if a term is included to account for
dilution and concentration of vorticity due to the
divergence and convergence associated with flow
forced over the mountains. For typical mid-latitude
zonal winds the stationary Rossby wave pattern
excited by flow over the Rockies and Himalayas
(Figure 5) features lee-side troughs in agreement with
observations.

Vertically Propagating Rossby Waves

Vertically propagatingRossbywaves are forcedmodes
generated by flow over continental-scale topography,
by continent–ocean heating contrasts, and by non-
linear interactions among transient tropospheric
wave disturbances. Such motions are approximately
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governedby the conservation following the geostroph-
ic wind of a dynamical field called quasi-geostrophic
potential vorticity.

The linearized quasi-geostrophic potential vorticity
equation for a basic state with constant mean zonal
wind �uu can be expressed as in eqn [20], where q0 is
given by eqn [21].

q
qt

þ �uu
qq0

qx
þ v0b ¼ 0 ½20�

q0 ¼ r2c0 þ f 20
r0

q
qz

r0
N2

qc0

qz

� �
½21�

Here r0, the reference density, decreases with height
exponentially at a constant scale height H, so that
r0 ¼ rs expð�z=HÞ and rs the density at sea level.
Equation [20] states that the rate of change of q0

following the mean flow �uu is given by the advection of
the planetary vorticity by the disturbance meridional
wind component. Equation [20] has solutions of the
form of eqn [22], where k, l, and m are the zonal,
meridional, and vertical wavenumbers, and n is the

frequency of the waves.

c0 ¼ A exp iðkxþ lyþmz� ntÞ þ z

2H

h i
½22�

Note that the factor expðz=2HÞ, which is proportional
to r�1=2

0 , is introduced to account for the fact that in
this simple model the perturbation streamfunction for
vertically propagating waves grows in height as the
inverse square root of density. Substituting eqn [22]
into eqn [20], and solving form2 yields eqn [23] where
again cx � n=k is the zonal phase speed relative to the
ground.

m2 ¼ N2

f 20

b
�uu� cx

� ðk2 þ l2Þ
� �

� 1

4H2
½23�

For known cx, k, and l, eqn [23] gives the vertical
structure of the waves. For forced wave solutions the
wave frequency is specified as that of the forcing. Thus,
for topographically forced solutions the zonal phase
speed relative to the ground is zero ðcx ¼ 0Þ, and
m2 > 0 only if eqn [24] is satisfied.

0o�uuouc where uc ¼ b k2 þ l2 þ f 20
ð4N2H2Þ

� ��1

½24�
For m2 > 0 waves can propagate vertically, while

form2 
 0 thewaves are trapped. Thus, for stationary
waves, vertical propagation exists only in the presence
of mean westerly winds that are less than a critical
value, uc. This result is referred to as the Charney–
Drazin criterion. For example, for a wave with large
meridional scale, l � 2p=ð12 000kmÞ and planetary
wavenumber 1 ðk ¼ a�1Þ, this theory gives uc �
60m s�1. More accurate calculations with spherical
geometry and realistic winds give uc � 100m s�1. It is
clear from eqn [24] that uc decreases rapidly as k and l
increase; i.e., the critical value is determined largely
by horizontal wave scales. In practice only zonal
wavenumbers 1 and 2 propagate significantly into
the extratropical stratosphere, and this happens only
in the winter hemisphere where �uu >0. Therefore, the
Charney–Drazin criterion provides an approximate
explanation for the absence of stationary planetary
waves in the summer stratosphere (where winds are
easterly) and the dominance of waves of zonal
wavenumbers 1 and 2 in the winter stratosphere.

Equatorial Waves

The change of sign of the Coriolis parameter at the
Equator leads to a special class of large-scale atmos-
pheric waves that are trapped laterally in the equato-
rial region but propagate zonally and vertically. Such
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waves have important consequences for the circula-
tion of the equatorial middle atmosphere. Equatorial
waves are most easily analyzed by utilizing an
equatorial b-plane approximation, in which the
Coriolis parameter is assumed to vary linearly with
distance from the equator so that f ¼ by, where
b � ðdf=dyÞf¼0 ¼ 2O=a, with a the radius of the Earth.

Solutions for zonally propagating wave distur-
bances on an equatorial b-plane in a basic state at
rest can be expressed in the form of eqn [25].

n0 ¼ Re CðyÞ exp iðkxþmz� ntÞ þ z

2H

h in o
½25�

Again it is assumed that k > 0, so that n > 0 implies
eastward propagation relative to the ground at phase
speed cx ¼ n=k.

The Meridional Structure

The meridional structure in eqn [25] can be deter-
mined by letting l be given by eqn [26] and defining the
transformed variable x ¼ ðbjmj=NÞ1=2y.

l2 � N

bjmj
m2n2

N2
� k2 � kb

n

� �
½26�

It can then be shown thatC satisfies eqn [27], which is
just the Schrödinger equation for a quantumharmonic
oscillator.

d2C

dx2
þ ðl2 � x2ÞC ¼ 0 ½27�

This equation is analogous to the governing equation
for a simple harmonic oscillator, eqn [28], where l2 is a
positive constant.

d2C
dy2

þ l2C ¼ 0 ½28�

The equatorial case given by eqn [27] differs from the
simple harmonic oscillator in that oscillating solutions
exist only for x2ol2 (with l2 > 0) while exponential
behavior occurs otherwise. Solutions of eqn [27] that
satisfy the condition of equatorial trapping ðC ! 0 as
x ! 	1Þ exist if and only if l2 ¼ 2nþ 1where n ¼ 0,
1, 2,y. These solutions are the Hermite functions
defined by eqn [29].

Cn ¼ e�x2=2HnðxÞ ½29�

HnðxÞ is the Hermite polynomial of order n, so that
successive values are given by eqns [30].

H0ðxÞ ¼ 1 H1ðxÞ ¼ 2x H2ðxÞ ¼ 4x2 � 2; etc:

½30�

Substitution of eqn [29] into eqn [27] then yields the
dispersion relation (eqn [31]).

N

bjmj
m2n2

N2
� k2 � kb

n

� �
¼ 2nþ 1 ½31�

Rossby-Gravity Waves

The lowest meridional mode solution of eqn [31], the
n ¼ 0 mode, is called a Rossby-gravity wave. It has a
meridional velocity perturbation, v0, that is symmetric
about the Equator. For this mode eqn [32] applies,
which determines the vertical wavenumber for spec-
ified zonal wavenumber and frequency.

jmj ¼ N

n2
ðbþ nkÞ ½32�

Letting s ¼ ka, where s is the number of wavelengths
around a latitude circle ðs ¼ 0, 1, 2,y), and recalling
that b ¼ 2O=a, eqn [32] implies that with no0
(corresponding to the observedwestward propagation
of these modes) a solution exists only for jn̂n=Ojo2=s.

For s ¼ 4, jn̂n=Ojo1=2, so that the period in this case
must be greater than 2 days.

In terms of the original y coordinate, the solution for
the meridional velocity perturbation in the Rossby-
gravity mode can be expressed as eqn [33].

~vv ¼ V0 exp �ð1þ knb�1Þb2y2
2n2

" #
½33�

The corresponding solutions for the zonal wind and
geopotential perturbations are given by eqn [34].

~uu

eFF
( )

¼V0

�ibyð1þ knb�1Þn�1

þiny

( )

� exp �ð1þ knb�1Þb2y2
2n2

" #
½34�

For observed Rossby-gravity waves in the equa-
torial stratosphere, n � 2p=ð4daysÞ, s ¼ 4, Lz ¼
2p=m � 6–8 km. The horizontal and vertical struc-
tures of the Rossby-gravity wave are shown in Figures
6 and 7, respectively.

Kelvin Waves

There is an important type of equatorialwave inwhich
the meridional velocity perturbation vanishes
ðv0 ¼ 0Þ. For this mode it turns out that eqn [35]
applies, which is the same as the dispersion equation
for an eastward-propagating internal gravity wave.

n ¼ 	 kN

m
½35�
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The zonal wind disturbance for this mode
has a Gaussian distribution about the Equator (eqn
[36]).

~uu ¼ u0 exp � by2k
2n

� �
½36�

Temperature and pressure are similarly symmetric
about the Equator. Note that this solution requires
that n=k ¼ cx > 0, otherwise it would grow without
bound away from the Equator, which explains
why only eastward-propagating Kelvin waves are
allowed.

For observed Kelvin waves in the equatorial
stratosphere, eqn [37] are satisfied.

n
k
� 30m s�1 so Lz ¼ 2p

jmj � 12 km ½37�

The horizontal and vertical structures for the Kelvin
mode are shown in Figures 8 and 9, respectively. The
vertical structure is the same as that for a two-dimen-
sional internal gravity wave. The meridional width for
observed Kelvin waves is of order YL given by eqn [38].

YL ¼ 2n
bk

����
����
1=2

¼ 2cx
b

����
����
1=2

� 2000 km ½38�
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Figure 6 Latitude–longitude section showing horizontal velocity

and geopotential perturbations associated with an equatorial

Rossby-gravity wave.
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Figure 8 Latitude–longitude section showing horizontal velocity

and geopotential perturbations associated with an equatorial

Kelvin wave.
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Kelvin waves are a significant source of westerly
momentum for driving the westerly phase of the equa-
torial stratospheric quasi-biennial oscillation (QBO).

See also

Baroclinic Instability. Buoyancy and Buoyancy
Waves Theory.DynamicMeteorology:Overview.Kel-
vin Waves. Lee Waves and Mountain Waves. Middle
Atmosphere: Gravity Waves; Quasi-Biennial Oscillation.
Rossby Waves. Tropical Meteorology: Equatorial
Waves.Wave Mean-Flow Interaction.
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Introduction

During 1877 and 1878 much of China was struck by
famine, due to a severe drought. More than nine
million people perished. In India, at the same time,
more than eight million deaths were attributed to
famine also caused by a drought. In many districts, a
quarter of the population died. Drought in the same
period also caused crop failures, scarcity of food or
even famine, in north-eastern Brazil, Egypt, Indonesia,
Fiji, Australia, and southern Africa. In other parts of
the world, including Ceylon, the Pacific coast of South
America, and Tahiti, many lives were lost from
unusual storms or extended periods of heavy rain
and flood. The El Niño Southern Oscillation, a major
pattern of climate variation, links these climatic
extremes in different parts of the world; the first major
El Niño event for which good records exist was the
1877 event. Subsequent El Niño events have often
reproduced the pattern of climate extremes and
societal impacts observed in the 1877 event. We now
use the phenomenon to make predictions of seasonal
climate variations in many parts of the world.

How Was the El Niño Southern
Oscillation Discovered?

The famine in India in 1877 led to the first scientific
attempts to understand and predict monsoon failures
and drought, and eventually to the mapping of the El
Niño Southern Oscillation. Henry Blanford, then the
head of the IndiaMeteorological Department, noticed
that atmospheric pressures were higher than usual
over India during the drought. He advised meteorol-
ogists in other parts of the British Empire of this and

asked them about atmospheric pressures in their
colonies.

Blanford’s message reached the South Australian
Government Astronomer and Meteorologist, Charles
Todd, who noticed that Australian atmospheric pres-
sures were also high, and that the country had been
experiencing a drought at the same time as India.
When another drought struck Australia in 1888, Todd
realised that India and Australia often experienced
drought at the same time. This synchronism of
drought in the two countries is part of the suite of
long-range connections (teleconnections) between
climate fluctuations in different parts of the world
thatwe now call the SouthernOscillation. For the next
few decades, several meteorologists around the world
were occupied inmapping these teleconnections into a
coherent pattern. Sir Gilbert Walker was the most
prominent among these mappers, and it was he who
named the teleconnection patterns the Southern Os-
cillation.Walker used these teleconnections to develop
statistical systems for forecasting climate anomalies in
many parts of the world.

In themiddle of the twentieth century, interest in the
Southern Oscillation declined. This was partly be-
cause the focus of atmospheric scientists shifted to
shorter time scales, as computer models exhibited
their ability to forecast weather. A second reason for
the decline in interest was the absence of any theory
explaining the teleconnections or the long time scale of
the phenomenon. In the early 1960s, Hendrik Berlage
and Jacob Bjerknes separately demonstrated that the
El Niño and the Southern Oscillation were related.
The term El Niño originally (at the end of the
nineteenth century) referred to the annual weak
warm current that runs southward along the coast of
Peru and Ecuador at the end of the year. Subsequently,
scientists applied the term to denote the occasional
largewarmings that occur every fewyears and result in
major disruptions to the region. Bjerknes developed a
theory for how this essentially tropical phenomenon
could affect climate at higher latitudes. This step,
along with the severe ecological and human conse-
quences of the major El Niño episodes of 1972
and 1982, revived scientific interest in the study of
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interannual climate variations and their prediction.
The phenomena are now jointly referred to as the
El Niño Southern Oscillation, reflecting their close
relationship.

What Causes the El Niño Southern
Oscillation?

The joint name El Niño Southern Oscillation, is
appropriate because ocean–atmosphere interaction is
the cause of the phenomenon. Easterly winds over the
eastern and central equatorial Pacific cause oceanic
‘upwelling’ (cooler subsurface waters being lifted to
the surface) along the Equator. Southerly winds in the
eastern Pacific also cause upwelling along the South
American coast. As a result, the Pacific Ocean is
usually cooler in the east than in the west by several
degrees.

At tropical latitudes, heavy rains accompany warm
oceans, so the warm west Pacific (including Indonesia
and New Guinea) is a heavy rainfall region, while the
cooler east Pacific receives little rainfall. Figure 1
shows the mean sea surface temperatures for Decem-
ber. The relative coolness of the east Pacific, compared
to the west equatorial Pacific is evident.

This is the ‘average’ situation, but during an ElNiño
the ocean temperature gradient from one side of the
Pacific to the other weakens, and the easterly winds
weaken. Droughts occur in the west (around the

Indian Ocean and the west Pacific) associated with
cooler than normal ocean temperatures, while the
unusually warm waters in the east bring heavy rains
and floods to the normally arid Pacific coast of South
America. Figures 2 and 3 show the strong warming of
the east equatorial Pacific that took place during the
1997/98 El Niño. Figure 2 shows the sea surface
temperatures during December 1997, at the peak of
the El Niño. Warming in the east Pacific at that time
had almost completely removed the east–west tem-
perature gradient. The east equatorial Pacificwarming
of about 51C is shown in Figure 3, which exhibits the
anomalies (deviations from climatology).

How does an El Niño start? A small change in the
usual sea surface temperature pattern can produce a
change in the winds along the Equator. In turn, these
wind changes affect the currents that change the
pattern of sea surface temperatures even more. This
process continues, with ocean temperatures affecting
winds that affect currents that, in turn, affect ocean
temperatures. One important change is related to
bursts of westerly winds in the western Pacific. These
can trigger eastward-moving ocean disturbances that
cause the thermocline (the transition layer between
warm surface water and cooler, lower waters) to
deepen in the east Pacific. This means that it is harder
for the upwelling to cool the surface (because the
upwelledwater is now coming from the upper,warmer
layer), so the east Pacific warms. Eventually, in the
biggest El Niño events, the difference in temperature
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Figure 1 Climatological sea surface temperature for December. (Analysis from Bureau of Meteorology, Australia.)
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between the west and east equatorial Pacific Ocean
can disappear altogether. As a result of these major
changes in sea surface temperature and the surface
winds, the whole pattern of climate and atmospheric

circulation across the Pacific and Indian Oceans, and
the surrounding continents, is disrupted, with
droughts in normally wet areas and heavy rains over
normally arid regions.

0° C 4° C 8° C 12° C 16° C 20° C 24° C 28° C 32° C

Figure 2 Sea surface temperature for 15–21 December 1997. (Analysis from Bureau of Meteorology, Australia.)
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Figure 3 Sea surface temperature anomalies (deviations from climatology) for 15–21 December 1997. (Analysis from Bureau of

Meteorology, Australia.)
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The changes associated with the El Niño often
persist for about a year and then usually collapse quite
quickly. Sometimes a mirror-image pattern of climate
disturbances, with flooding in Australia, India, Indo-
nesia, northeast Brazil, and dry conditions on the
Pacific coast of South America, follows. This set of
conditions is called La Niña. La Niña episodes also
usually last about a year or so.

As alluded to earlier, the atmospheric variations
associated with El Niño and La Niña events are called
the Southern Oscillation. This name derives from the
observation (dating back to the time of Blanford and
Todd) that, during an El Niño, atmospheric pressures
are usually higher than normal overAustralian and the
Indian Ocean and lower than normal in the southeast
Pacific. During the opposite phase, the La Niña, the
pressure anomalies are reversed. So, in a sense, the
atmosphere acts like a seesaw, with high or low
pressures on either side of the Pacific.

We canmonitor this seesaw in atmospheric pressure
with the SouthernOscillation Index or SOI. This is the
standardized difference in pressure betweenTahiti and
Darwin. When the SOI is negative, pressures are high
over the Australian region and relatively low in the
southeast Pacific. This is an indication that the Trade
Winds are weak across the Pacific, and these weaker
winds result inwarmeast equatorial Pacific sea surface
temperatures – an El Niño. Figure 4 shows time-series
of the Darwin mean sea level pressure and sea surface
temperatures in the ‘cold tongue’ of the east equatorial
Pacific (1801–901W, 61N–61 S). The close relation-
ship between the atmospheric pressure on one side of
the Pacific and sea surface temperatures on the other
side is clear, as is the tendency for El Niño and LaNiña
events to last about 12 months.

This tendency to last about 12 months means that
the climate effects related to the El Niño Southern

Oscillation are strongly persistent and thus predict-
able. This persistence is greater during the second half
of the calendar year, because El Niño episodes tend to
start around March–May and finish around the same
time a year later. Thus, if an event is underway bymid-
year it is likely to persist through the second half of the
year. This means that climate anomalies usually
associated with the presence of an El Niño at this
time can often be predicted well in advance. The
tendency for El Niño events to start around March–
May is illustrated in Figure 5, which shows east
equatorial Pacific sea surface temperature anomalies
during the major events of the second half of the
twentieth century. In each of the five events, sea surface
temperature anomalies in the east equatorial Pacific
were relatively low at the start of the year, and then
increased rapidly from about March, reaching a peak
near the end of the calendar year. The temperature
anomalies subsequently weakened over the next few
months.

What Areas Does the El Niño Southern
Oscillation Affect?

The pattern of climate anomalies seen in the 1877 El
Niño tends to be repeated each time anElNiño occurs.
The typical pattern of rainfall anomalies associated
with an El Niño is shown in Figure 6. The figure
indicates, for each area consistently affected by the El
Niño, the months in which the anomalies are most
consistent. The pattern of precipitation anomalies
associated with the other extreme of the El Niño
Southern Oscillation, the La Niña, is essentially the
opposite of that depicted in Figure 6 (i.e., where drier
thannormal conditions are usually experiencedduring
an ElNiño, thenwetter than normal conditions can be
anticipated during a La Niña episode).
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The El Niño Southern Oscillation also affects
temperatures in some parts of the world. Thus in
December–February at the peak of an El Niño,
temperatures are usually above average throughout
central and southern Africa, southern Asia, and the
western Pacific, Canada, and the Pacific coasts of
North and South America. The south-east of the
United States tends to be cooler than average. Severe
frosts can occur in places where drought accompanies
an El Niño episode, such as the highlands of Papua
New Guinea and inland eastern Australia.

The El Niño Southern Oscillation also affects
tropical cyclones and some other weather and climate
extremes. Figure 7 is a time-series of the SOI and of the
number of tropical cyclones around Australia. When
an El Niño is under way (i.e., when the SOI is strongly
negative), fewer than normal tropical cyclones are
observed around Australia. Similarly, Atlantic hurri-
cane activity is reduced during El Niño episodes. On

the other hand, tropical cyclones are more frequent
than usual in the east Pacific during these episodes.

Prehistoric Behavior of the El Niño
Southern Oscillation

Instrumental records relevant to the study of the El
Niño Southern Oscillation are available back into the
late nineteenth century. The study of El Niño episodes
prior to this depends on documentary records, and
paleoclimatic (proxy) records. Documentary evidence
of heavy rains and floods on the Pacific coast of South
America (always associated with El Niño episodes
during the instrumental era) are available from the
sixteenth century. Comparisons of the dates of heavy
rains and floods in South America with dates of
droughts in other parts of the world have confirmed
that the El Niño Southern Oscillation has been
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operating for at least hundreds of years. The telecon-
nections between droughts and floods in these various
parts of the world have been similar throughout these
five centuries, reflecting the effects of the El Niño
Southern Oscillation throughout this period.

Paleoclimatic data, from corals, ice cores in glaciers,
tree rings, and marine and lacustrine sediments also
provide information regarding the occurrence of El
Niño episodes prior to the instrumental period. This
evidence, although not conclusive, suggests that
El Niño episodes have been occurring for at least
several thousand years.

The El Niño Southern Oscillation
in the Recent Past

The prominence of the El Niño Southern Oscillation
has varied through the instrumental period. Very
strong ElNiño episodes occurred in the first quarter of
the twentieth century, with only relatively infrequent,
and weak, events in the period 1925–1950. After
1950, more intense El Niño and La Niña events were
observed. Since the mid-1970s, there appears to have
been a shift towardmore frequent, or stronger, ElNiño
episodes, with La Niña episodes becoming relatively
infrequent. Some analyses suggest that this behavior is
very unusual, given the (admittedly short) historical
record.

Future Observations of the El Niño
Southern Oscillation

For most of the period during which the El Niño
Southern Oscillation has been monitored and studied,

observations originally intended for other purposes
have been the main source of information. Atmos-
pheric pressure, rainfall, and temperature observa-
tions originally taken for the purposes of weather
recording and forecasting, or to determine the ‘aver-
age’ climate, have been used in studies of how the
phenomenon affects climate variations around the
globe. Sea surface temperatures recorded bymerchant
and other ships have been the main source of
information about the ocean variations associated
with the El Niño. In recent decades, however, new and
improved observations, specifically designed for cli-
mate studies, have been initiated. These include
satellite observations of rainfall and sea surface
temperature and sea-level, moored buoys monitoring
the ocean and atmosphere in critical parts of the ocean,
and subsurface analyses of the ocean thermal struc-
ture. The analysis of these new data is in its infancy,
but the data have already enhanced our ability to
monitor, understand, andpredict theElNiño Southern
Oscillation.

See also

El Niño and the Southern Oscillation: Theory.
Monsoon: ENSO–Monsoon Interactions.Walker Circu-
lation.
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Introduction

The El Niño Southern Oscillation is a spectacular,
planetary-scale climate phenomenon that is inherently
caused by interactions between the atmosphere and
the ocean. Historically, El Niño refers to unusually
warm ocean temperatures that occur every 2–7 years
around Christmas time along Peruvian coast,
extending into equatorial eastern and central Pacific
Ocean. The Southern Oscillation, named by its
discoverer – Sir Gilbert Walker – on the other hand,
refers to a ‘seesaw’ of the atmospheric pressure
between the Pacific and Indian Oceans. It was not
until the seminal work of Jacob Bjerknes in the
late 1960s that scientists realized that these two
phenomena are intimately linked. The acronym
ENSO (El Niño Southern Oscillation) has now
been widely used to describe this fascinating inter-
annual climate fluctuation, emphasizing the inherent
ocean–atmosphere coupling.

Although the origins of ENSO lie in the tropical
Pacific, the impact of ENSO is global, owing to
planetary waves of the atmosphere that redistribute
vorticity from tropics to extratropics. The ‘telecon-
nection’ ofENSOcandisruptweather patterns around
the globe. For this reason, ENSO has been recognized
as the most important climate phenomenon at inter-
annual time scales.

Theoretical understanding of the development and
evolution of ENSO, and of underlying dynamical
mechanisms for its irregular oscillation at interannual
time scales, goes beyond the boundary of traditional
dynamical meteorology and oceanography, because it
requires knowledge about how the tropical atmos-
phere responds to sea surface temperature changes,
how the equatorial ocean adjusts to changes in winds,

and how various feedback loops between the atmos-
phere and ocean operate and interplay. This under-
standing provides the theoretical basis for the
development of ENSO prediction systems, which
are critical for operational seasonal-to-interannual
climate forecasting.

The Southern Oscillation and Walker
Circulation

From an atmospheric perspective, the Southern Os-
cillation can be viewed as a perturbation about a
thermally driven east-to-west circulation of the trop-
ical atmosphere across the Pacific Ocean. This circu-
lation, known as the Walker circulation, is caused by
the sharp contrast in sea surface temperature across
the tropical PacificOcean.Thewestern tropical Pacific
contains the warmest regions of the world’s ocean,
known as the Western Pacific Warm Pool, where the
sea surface temperature is above 281C. In contrast, the
eastern equatorial Pacific features relatively cold
ocean surface waters, extending from South America
coasts westward along the Equator. This is known as
the Eastern Equatorial Pacific Cold Tongue, where
the sea surface temperature is 5–101C colder than the
surfacewater of thewarmpool. Thewarmwater in the
western Pacific creates low surface pressure, which
causes moisture-laden air to converge into the region.
The air rises and the moisture condenses in strong
convective events, resulting in widespread cloudiness
and heavy precipitation. The rising air descends from
the upper troposphere to the surface in the Eastern
Equatorial Pacific Cold Tongue as dry air. Cool
temperatures result in relatively high surface pressure,
divergent flow, and little rainfall. These motions –
rising in the west, sinking in the east – are connected
through easterly trade winds near the surface and a
westerly wind aloft, forming the Walker Circulation.

Fluctuations in the position and intensity of the
Walker Circulation cause the Southern Oscillation.
When sea surface temperature in the eastern Pacific
is warmer than normal, such as during El Niño
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years, the low atmospheric pressure center normally
situated in the Western Pacific Warm Pool moves
eastward, bringing along with it the rising moist
air and heavy precipitation. As a result, the east–
west pressure difference across the Pacific is
reduced and the easterly trade winds are weak-
ened. This produces a weak Southern Oscillation
(a negative phase). By the same token, the strength
of the Southern Oscillation is enhanced (a positive
phase) when sea surface temperature in the eastern
Pacific falls below normal. This sensitivity of the
tropical atmosphere circulation to sea surface temper-
ature fluctuations is one of the key elements of
ENSO physics.

A secondary process that contributes to equatorial
trade wind fluctuations involves the so-called Hadley
circulation, ameridional overturning cell spanning the
tropical Pacific (and the global tropics). This circula-
tion consists of a rising branch, concentrated in a
narrow zone generally north of the Equator, known as
the ITCZ (or intertropical convergence zone), and
sinking motion, with increasingly strong surface
easterlies both north and south of the ITCZ. During
El Niño, as the equatorial surface temperature warms,
the ITCZ and attendant Hadley circulation shift
equatorward, leading to a reduction of equatorial
easterly winds, beyond that associated with the
Walker circulation.

Many of the essential features of the Walker
circulation (and Hadley circulation) can be captured
by a simple physical model in which the tropical
atmosphere is assumed to be forced by a diabatic
heating source and subject to simple dissipation of
momentum and heat (with common decay rate r of
order of 1–2 days). The diabatic heating is largely
induced by latent heat released by the rising moist air
over the warm ocean, and this can be approximated as
a function of sea surface temperature. Assuming that
the vertical structure of the diabatic heating is fixed
and has a simple structure with a single maximum at
midlevels decreasing to near zero at the surface and
upper levels (which approximates to the heating field
produced by cumulus convection in the tropics), then
the entire circulation pattern in the vertical projects
primarily onto the so-called first baroclinic mode of
the tropical atmosphere, and the horizontalmotions at
each level obey a two-dimensional set of equations (the
so-called shallow water equations). Therefore, the
forced solution of the shallowwater equation can give
the first-order approximation of the Walker Circula-
tion. In the region of heating, for example, in the
Western Pacific Warm Pool, the diabatic heating gives
rise to a vertical velocity which causes the lower
atmosphere to expand and the vortex to stretch. To
conserve potential vorticity, the surface air parcels

must move poleward to generate cyclonic vorticity
in order to balance the ambient vorticity change.
The diabatic heating also excites planetary waves
which induce remote response outside the region of
heating. Of particular interest is a Kelvin wave
propagating eastward at a speed c. It gives an easterly
wind symmetric about the Equator which decays
at a rate of r/c per unit distance. This easterly wind
is reminiscent of the trade winds along the equa-
torial Pacific as a part of the Walker circulation.
To the west of the forcing region, there are Rossby
waves which cause the cyclonic flow to expand
westward. The simple atmospheric model gives an
analytical expression linking changes in the equatorial
trade winds to changes in sea surface temperature
through its effect on the diabatic heating of the
atmosphere.

Equatorial Ocean Adjustment

From an oceanic perspective, changes in sea surface
temperature associated with El Niño can be under-
stood in terms of an equatorial ocean response to
changes in the TradeWinds.Under normal conditions,
an easterly wind stress supplied by the TradeWinds in
the central and eastern Pacific acts on the ocean
surface. This stress is balanced by friction and the
Coriolis force, resulting in poleward surface flow in
either hemisphere and thus upwelling in the eastern
equatorial Pacific and South American coast. The
westward winds also ‘push’ the relatively warm
surface water westward, bringing cold subsurface
water to the ocean surface and lifting the so-called
thermocline of the ocean in the east. The thermocline
represents a band of water within which temperature
changes rapidly with depth, thereby separating the
warm upper ocean from the cold deep ocean. The
TradeWinds thus cause the thermocline to shoal from
west to east across the equatorial Pacific Ocean,
maintaining the warm pool in the west and the cold
tongue in the east. During a negative phase of the
Southern Oscillation, the easterly Trade Winds are
weaker than normal, which reduces the upwelling in
the east, deepens the thermocline and causes the sea
surface temperature to rise. An El Niño is produced!
The opposite occurs during a positive phase of the
Southern Oscillation, when the Trade Winds are
strengthened.

The close relationship among Trade Winds, therm-
ocline, and sea surface temperature results from the
rapid adjustment of the equatorial ocean. Because the
Coriolis force vanishes at the Equator, there is a wave
guide along the Equator, where a variety of waves are
trapped towithin a fewdegrees to either side of it in the
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ocean (and a few tens of degrees in the atmosphere).
Two types of waves, the equatorial Kelvin and Rossby
waves, are of particular importance. Kelvin waves are
special gravity waves that propagate eastward with a
speed of approximately 2–3m s� 1, and can travel
across the Pacific Ocean in 2 months or so. Rossby
waves are planetary vorticity waves that propagate
westward at a rate of about 0.6–0.8m s� 1, and can
travel across the Pacific in 6–7 months. Both these
waves propagate at a rate that is faster by an order of
magnitude or more than the planetary waves in
extratropical oceans. For this reason, equatorial
oceans adjust much more rapidly than extratropical
oceans in response to changes in the wind stress
forcing. Therefore, at interannual time scales, the
zonal gradient of the equatorial thermocline and
overlying Trade Wind stress are approximately at
balance.

The response of the equatorial ocean to changes in
the zonal wind stress can again be modeled in terms of
a shallow water model. Here, the ocean is approxi-
mated as a two-layer fluid system with a thin, warm
layer on top of a deep, cold layer. The interface
between the two layers represents the ocean thermo-
cline which has an average depth of approximately
150m in the equatorial Pacific.Motions of upper layer
and the interface obey shallow water equation subject
towind stress forcing. The steady-state solution is very
nearly a balance between the zonal wind stress and
zonal gradient of thermocline. When a change in the
trade wind occurs, the ocean is subject to an anom-
alous zonal wind stress forcing. A typical wind stress
anomaly associated with the Southern Oscillation has
a spatial structure that has the largest amplitude in the
western central equatorial Pacific and decays away
from the Equator. Because of the nonuniform spatial
structure, off-equatorial wind stress curl is generated.
The oceanic response to such an anomalous wind
stress forcing in the shallow water system takes
place in two stages: first, an equatorial Kelvin
wave is excited by the strong wind stress anomaly
at the Equator, propagating eastward and causing
changes in depth of the thermocline and sea surface
temperature in the eastern equatorial Pacific upon its
arrival. At the time when the Kelvin wave is excited,
Rossby waves of opposite sign to the Kelvin wave are
also generated by the off-equatorial wind stress curl
associatedwith thewind stress anomaly. TheseRossby
waves propagate westward and reflect at the western
boundary as a second Kelvin wave – now with the
opposite sign to the first Kelvin wave – and thus work
against the effect brought by the first Kelvin wave in
the eastern equatorial Pacific with a time delay. It is
this delayed response in the eastern equatorial Pacific
produced by the samewind stress forcing that provides

the oceanic ‘memory’ – another key element of ENSO
physics.

Coupled Dynamics

If the atmosphere and ocean were decoupled, then
small perturbations in either the sea surface temper-
ature or thewindswould fade quickly away because of
dissipation in the oceans and atmosphere. In reality,
the tropical atmosphere and equatorial ocean in the
Pacific Ocean are tightly coupled, because of the
sensitivity of the atmospheric response to sea surface
temperature changes and the rapid adjustment of the
equatorial ocean to changes in winds. Therefore, a
modest change in either the equatorial sea surface
temperature or the trade winds can trigger a chain
reaction in the coupled ocean–atmosphere system,
involving a positive feedback between the atmosphere
and the ocean.

Bjerknes Feedback Mechanism

The key ingredients of this positive feedback were first
pointed out by Bjerknes. Consequently, the mecha-
nism has become known as the Bjerknes hypothesis.
Imaging that there is initially a weak westerly wind
anomaly along the Equator that causes the tradewinds
to weaken. From the equatorial ocean adjustment
discussed above, we expect that a weak warm sea
surface temperature anomaly will occur in the eastern
equatorial Pacific, owing to deepening in the thermo-
cline depth and weakening in equatorial upwelling.
Because the tropical atmosphere is sensitive to changes
in sea surface temperature, the small increase in sea
surface temperature in the east will tend to move
atmospheric convection eastward, reduce the diabatic
heating in thewest andweaken theWalker circulation.
This causes a further weakening of the trade winds,
which in turn leads to a further warming in the eastern
equatorial Pacific, and so on. Key elements of this
feedback loop are illustrated in Figure 1. The Bjerknes
hypothesis marks the beginning of the formation of
modern ENSO theory.

Coupled Modes

Aquantitative understanding of the coupled dynamics
can be gained by formulating a simple coupled ocean–
atmosphere model, such as the two shallow water
systems described above. A stability analysis can then
be applied to the coupled system to obtain a set of
modes which describe how the coupling between the
ocean and atmosphere can modify free oceanic and
atmosphericwavemodes in awide range of dynamical
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parameter space. Such an analysis leads to the dis-
covery of a new breed of ‘wave modes’, with charac-
teristics that depend on the strength of the air–sea
feedback and the adjustment time scale of the ocean.
For a weak air–sea feedback, the adjustment time of
the ocean ismuch faster than that imposed by theweak
air–sea feedback. Therefore, the free waves are not
significantly influenced by the air–sea feedback and
the coupled modes behavior similar to those of free
waves. For a strong air–sea feedback, the adjustment
time of the ocean is much slower than that imposed by
the strong air–sea feedback. The coupled modes
depend critically on the air–sea feedback, but is less
influenced by the oceanic adjustment. In this limit, the
coupled modes behave quite differently from the free
ocean waves and tend to be more unstable because of
the strong influence of the positive air–sea feedback.

In between these two extreme limits lies the most
interesting dynamic regime, where the adjustment
time of the ocean and of air–sea feedback are compa-
rable to each other. This is the dynamic regime, where
ENSO is believed to reside in nature. The coupled
modes in this regime have a mixed behavior of free
oceanic waves and of themode that depends primarily
on air–sea feedbacks, and can be either stable or

unstable depending on the strength of the feedback.
These modes can be characterized best by a delayed
action oscillator – a prototypemodel for ENSO. LetT
denote sea surface temperature anomaly in the eastern
equatorial Pacific; then the time evolution of T obeys
a differential-delay equation dT=dt ¼ cTðtÞ �
bTðt � tÞ, where t is time and t is a time delay
associated with the adjustment of the equatorial
ocean. The behavior of T in this model is determined
by two competing processes: (1) cT represents the
Bjerknes positive feedback, contributing to a growth
of sea surface temperature; (2)bTðt � tÞ represents the
delayed oceanic adjustment discussed in the previous
section, constituting a negative feedback. This nega-
tive feedback due to the oceanic ‘memory’ effect
counteracts the positive feedback in the eastern
equatorial Pacific with the time delay t. Physically,
this is achieved through excitation of the Rossby
waves by off-equatorial wind stress curl and the
reflection at thewestern boundary. Therefore, the time
delay t is essentially determined by the propagation of
the Rossby waves from the western central Pacific to
the western boundary and of the reflected Kelvin wave
from the western boundary to the eastern equatorial
Pacific. This negative feedback process is illustrated in
Figure 2.

Because both of the positive and negative feedbacks
are comparable in strength, the differential-delay
equation can support oscillations with periods longer
than the wave adjustment time scale t. In fact, when
realistic parameters are used, the differential-delay
equation produces an oscillation with a period of 3–4
years, which agrees with the average occurrence of El
Niño in reality. Therefore, the coupled modes of
delayed-oscillator type are believed to capture the
essential physics of ENSO.

Nonlinear vs. Stochastic ENSO Theory

The delayed oscillator theory offers an explanation for
the oscillatory behavior of ENSO, but cannot explain
the irregularity of ENSO. In nature, an ENSO occurs
every 2 to 7 years with considerable variations in its
strength. Where does this irregularity come from?
Although answers to this question are not entirely
clear, there are two competing theories that offer
different views on this issue.

One theory relies on inherent nonlinear interactions
within the coupled ocean–atmosphere system. It
assumes that the Bjerknes positive feedback is strong
enough for the coupled system to reside in an unstable
dynamic regime and maintain a self-sustained oscilla-
tion at an interannual time scale. This self-sustained
oscillation interacts nonlinearly with the annual cycle,
which is driven by the seasonal variation of the solar

Figure1 TheBjerknes hypothesis describes a positive feedback

between the ocean and atmosphere in the equatorial Pacific: a

weakening in the Trade Winds causes a warming in the eastern

Pacific through a deepening in the thermocline and a weakening in

the upwelling, which in turn leads to a further weakening in the

Trade Winds. (Reproduced with permission from Chang P and

Battisti DS (1998) The physics of El Niño. Physics World 11:

41–47.)
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radiation. Because the intrinsic mode of the coupled
system oscillates at a different frequency from the
driving frequency, nonlinear interaction between the
two cycles can give rise to complicated behavior of the
coupled system response. Depending upon the relative
strength of the driving cycle (the annual cycle) and the
intrinsic cycle (the ENSO cycle), the response can be
either locked into a periodic cycle (with a period equal
to a rational number between the period of annual
cycle and that of intrinsic coupled mode; this phe-
nomenon is known as frequency locking in nonlinear
dynamics) or chaotic. It is hypothesized that the reality
resides in the chaotic regime, and thus the irregularity
of ENSO can be attributed partially to the chaos
generated by the nonlinear interaction between the
annual cycle and the intrinsic oscillating mode of the
coupled system.

The other, competing theory puts ENSO in a weak
feedback regime, so that the coupled system does not
support a self-sustained oscillation, but is forced
externally by ‘weather noise’. Here, ‘weather noise’
refers to the high-frequency variability that is not
generated directly by ocean–atmosphere interactions,
but is produced by hydrodynamical instability proc-
esses of the atmosphere. Although these high-fre-
quency fluctuations of the atmosphere have coherent
spatial structure, in time they can be represented
approximately as a normally distributed white-noise
process. Under these approximations, ENSO can be
modeled as amultivariate linear stochastic system, i.e.,
ðd=dtÞs ¼ Asþ Fx, where s is a state vector comprised
of sea surface temperature anomalies throughout the
tropical Pacific basin,A a systemmatrix governing the
deterministic dynamics of ENSO, and F represents the
spatial distribution of the weather noise whose tem-
poral fluctuations x are represented as a normally
distributed white noise processes. The sea surface
temperature evolution is then determined by the
properties of the system matrix A and the noise
forcing structure matrix F. In particular, the leading

eigenvectors ofA give the dominant coupled modes in
ENSO system, including the delayed oscillator type of
modes. However, since the system is linear, all eigen-
vectors must be stable, i.e., decaying with time
(otherwise the variance would not be bounded).
Therefore, they cannot support a self-sustained oscil-
lation and the variability of the system must be
maintained by the noise forcing. One important
distinction between this view of ENSO physics and
the nonlinear theory is that the evolution of ENSO is
not necessarily dominated by a single mode (the most
unstablemode, according to the nonlinear theory), but
rather determined by the interference among many
stable modes. Constructive interferences cause sea
surface temperature anomalies to grow, whereas
destructive interferences cause them to decay. In this
theory the irregularity of the ENSO cycle comes
naturally because the variability of the system is
maintained by a random forcing.

Understanding the cause of ENSO irregularity has
important implications for the predictability of this
phenomenon. If ENSOevolution is governedby a low-
order chaos, then its predictability limit is determined
by the inherent nonlinear dynamics of the coupled
system. On the other hand, if stochastic processes in
the atmosphere is themain cause of ENSO irregularity
then its predictability depends on not only determin-
istic dynamics in the coupled system but also the
nature of noise forcing, which is determined largely by
the internal dynamics of the atmosphere. These
remain topics of active research.

See also

Coupled Ocean–Atmosphere Models. El Niño and
the Southern Oscillation: Observation. General Cir-
culation:Models;Overview.HadleyCirculation.Kelvin
Waves. Ocean Circulation: General Processes.
Rossby Waves. Walker Circulation.

Figure 2 Oceanic adjustment associated with the delayed oscillator type of coupled ocean–atmosphere mode. Rossby waves

generated by the relaxation of the TradeWinds in the western central equatorial Pacific propagate westward and are reflected into Kelvin

wavesat thewestern boundary near the Indonesian archipelago. TheKelvinwaves reach the eastern equatorial Pacific with a timedelay t
after the relaxationof theTradeWindsandbring coldwater to the region,whichaltimately shutsdown thewarnENSOevent. Togetherwith

the Bjerknes positive feedback, this negative oceanic feedback process forms the delayed oscillatormechanism for ENSO. (Reproduced

with permission from Chang P and Battisti DS (1998) The physics of El Niño. Physics World 11: 41–47.)
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Introduction

We live in a thin layer of air glued to the Earth’s
surface by gravity. This gaseous atmosphere is
composed largely of neutral molecules of oxygen and
nitrogen and as a consequence is an electrical
insulator. The atmosphere is bathed in radiation –
ultraviolet radiation from the Sun and cosmic
radiation from deep space. This radiation ionizes
the atmosphere and makes it a good electrical
conductor at upper levels where the radiation is
more energetic. The Earth beneath the atmosphere is
abundant in liquid water. All water contains ions in
solution, and the ions provide conduction. Three-
quarters of the Earth’s surface is covered with
conductive seawater. Liquid water is also present
virtually everywhere on land, permeates the cracks
and joints within the Earth’s crust, and makes land-
masses electrical conductors too. The thin layer of
insulating air sandwiched between these two con-
ductors forms the medium for the global electrical
circuit. For the so-called ‘DC’ global circuit, this
medium is a giant spherical capacitor. For the
‘AC’ global circuit, otherwise called the Schumann
resonances, the medium is an electromagnetic
waveguide.

Historical Development

The development of ideas on the DC global circuit
received great impetus from three giants of research in
atmospheric electricity: Benjamin Franklin, William
Thomson (Lord Kelvin), and C. T. R. Wilson. Their
three contributions, which dominated each of three
successive centuries, are discussed in turn.

Franklin can be creditedwith the first enunciation of
a global flow of moist, electrified air. His concept is
best discussed around his own picture (Figure 1), as
presented to the Royal Academy of Sciences in Paris in
1779. Warm, moist air ascends in the tropics and
descends in the polar regions. This cloudy air was
believed to deliver electricity to the cold polar icecap
on snow, where it would accumulate until breakdown
of the rarefied upper atmosphere occurred in the form
of the aurora. While this explanation for the aurora is
now known to be flawed, the postulated role for the
tropics and the picture of the large-scale circulation of
the atmosphere were clearly prescient.

One hundred years later, Lord Kelvin developed
potential theory, a mathematical tool needed for
theoretically underpinning the global circuit. Remark-
ably, more than 40 years before the conductive
ionosphere was postulated by A. Kennelly and
O. Heaviside in 1902, Kelvin advanced the spherical
capacitor picture for the global circuit. His expecta-
tion for an outer conductor was based on his knowl-
edge that rarefied air of the upper atmosphere was a
poor insulator in comparison with air at the Earth’s
surface. He also advocated organized measurements
of the Earth’s electric field, and this suggestion
undoubtedly motivated subsequent electrical obser-
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vations from the research vesselsCarnegie andMaude
by the Carnegie Institution. Kelvin undertook his own
surface measurements of potential gradient, verified
that the Earth carried a negative charge, and conclud-
ed that the global circuit peaked inwinter, a result now
believed to be dominated by local effects. He also
prophesied the use of electrical measurements for
purposes of weather prediction:

There can be no doubt that electric indications,
when sufficiently studied, will be found impor-
tant additions to our means for prognosticating
the weather: and the speaker hoped soon to see
the atmospheric electrometer generally adopted
as a useful and convenient weather glass.

Measurements by C. T. R. Wilson of the field
changes associatedwith lightning in thunderclouds led
him to conclude that the polarity of thundercloudswas
systematically positive in upper levels and negative at
lower levels. Wilson was also engaged with measure-
ments of the currents flowing to Earth during periods
of fair weather. The observation of the transatlantic
propagation of radio waves in 1903 by G. Marconi
verified the presence of the conductive ionosphere.
This collective information led Wilson in 1920 to
formulate his famous hypothesis for the global elec-
trical circuit: thunderstorms are batteries and drive

current upward to the conductive ionosphere where
it spreads out, to return to Earth in fair-weather
regions, as illustrated in Figure 2. Wilson’s idea led
F. J. W. Whipple to compare the universal time (UT)
variation of electric field over the oceans, now referred
to as the ‘Carnegie curve’, with the UT diurnal
variation of thunder areas on a global basis, as shown
in Figure 3. Threemajor tropical continental zones are
activated sequentially by the surface heating associat-
ed with the passage of the Sun. The similarity in phase
between these two curves has long stood as key
substantiating evidence for the Wilson’s global circuit
hypothesis. Additional support came in 1950 when
O. Gish and G. Wait measured upward currents over
thunderstorms from an airplane. More recent meas-
urements have shown upward currents over shower
clouds.

Wilson’s student T. W. Wormell later extended the
surface measurements of current and formulated a
statistical charge ‘balance sheet’ for the global circuit.
These results showed that point discharge current
dominated over the lightning current in modulating
the negative charge transfer to the Earth’s surface by
electrified storms.

The first coordinated measurements of the global
circuit were made by R. Muhleisen, one set from
Germany and another from a ship in the Atlantic
ocean. These balloon measurements integrated the
vertical electric field in the atmosphere to provide the
so-called ionospheric potential of the global circuit.
The simultaneous soundings at two locations agreed
to within 5% in three-quarters of the measurements,
providing considerable support for the worldwide
nature of the global circuit response. Extensive meas-
urements of the DC circuit were also carried out by
R. Markson using instrumented aircraft and with
balloons from stations inMassachusetts and Australia
with similar correlated results, and with diurnal
variations that closely follow the classical Carnegie
curve.
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Figure 1 Benjamin Franklin’s picture of airflow and transport of

electricity from equatorial to polar regions. (Reproduced with

permission fromSilvermanS (1970)Franklin’s theoryof theaurora.

Journal of the Franklin’s Institute 290: 177.)
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Figure 2 Simple illustration of the operation of the DC global

circuit with electrified clouds as generators and a return current to

earth in fair weather regions.
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The first suggestion that the spherical capacitor of
theDCglobal circuit also served as an electromagnetic
waveguide appeared when in 1952 W. Schumann
postulated the existence of electromagnetic reso-
nances maintained by global lightning activity. Partial
experimental verification of the resonances was ob-
tained by Schumann’s student H. Koenig inMunich in
the late 1950s. M. Balser and C. Wagner of the MIT
Lincoln Laboratory verified the multimodal reso-
nances with the first spectral measurements in 1960.
Transient excitations of the Schumann resonances by
single extraordinarily energetic flashes were reported
in the early 1970s by D. L. Jones and his colleagues.

Structure and Operation of the DC
Global Circuit

The conductivity structure of the giant spherical
capacitor and electromagnetic waveguide is estab-
lished by an interplay between ionization from the Sun
and fromdeep space, and the exponential decline of air
density with altitude above the Earth’s surface. The
principal radiation components in this context are the
galactic cosmic radiation and the ultraviolet (UV) and
X-ray photons from the Sun. The cosmic radiation is
the most energetic and serves to dominate the ioniza-
tion and electrical conductivity at altitudes from 0 to
50 km. The cosmic radiation is also largely isotropic
and so the conductivity structure of the lower atmos-

phere is spherically symmetrical. The UV radiation
from the Sun is largely removed in causing ionization
at higher altitudes – in the ‘D’ and ‘E’ regions of the
ionosphere – and since this radiation is strongly
anisotropic, the conductivity structure is endowed
with amodest asymmetry between the daytime and the
nighttime hemispheres. As a result, the electromag-
netic waveguide departs slightly from spherical sym-
metry.

In treating the DC global circuit, we are concerned
primarilywith the spherically symmetric lowest region
of the atmosphere, where small ions are the dominant
charge carrier. Over the oceans, where the air is
relatively free of aerosol particles, the altitude (z)
dependence of the electrical conductivity can be
approximated by the exponential function

sðzÞ ¼ s0 expðz=z0Þ ½1�

where s0 ¼ 5�10�14 Sm�1, and the e-folding scale
height z0 ¼ 5:0km. The minimum atmospheric con-
ductivity is found at the Earth’s surface and contrasts
markedly with conductivity values for the oceans and
typical surface crustal material. This information
establishes quantitatively the medium of the global
circuit – a spherical capacitor with variable resistivity
between good conductors.

Current sources for the DC global circuit are in
principle any mechanism that separates positive from
negative charge vertically between the conductive
Earth and the upper atmosphere. Such mechanisms
include the vertical transport of electric space charge
in the planetary boundary layer, the gravity-driven
descent of selectively charged aerosol particles in the
atmosphere, and the separation of electric charge by
microphysical processes involving ice in shower
clouds and thunderclouds. The C. T. R. Wilson
hypothesis postulates the special subset of thunder-
storms as the dominant current sources, or batteries,
for the global circuit, though much evidence has
appeared that shower clouds without lightning are
also major contributors. The Wilson hypothesis
establishes a firm link between the polarity of charge
on the Earth and the polarity of thunderclouds, but
does not account for the polarity of either entity.Today
it seems likely that this polarity is determined by some
fundamental property of ice, still to be identified.

The behavior of current sources in a mediumwhose
conductivity structure is exponential in the vertical has
been examined mathematically. The solution for a
point source in an exponential medium infinite in the
vertical is for all current to flowupward toward higher
conductivity. When horizontal conductor boundaries
and the associated image sources are added, some
current flows locally to Earth with the remainder
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flowing upward toward larger conductivity. Consist-
ently with these theoretical calculations, observations
over thunderstorms do show systematic upward
current flow to higher altitudes, in line with the
Wilson hypothesis. In a closed global circuit the
integrated upward current from globally distributed
sources, approximately one kiloampere, must ulti-
mately return to Earth, as illustrated in Figure 2. On
account of the spherical uniformity of conductivity
structure, the current flow will also be spherically
uniform in the resistive lower atmosphere. According
toOhm’s Law, this uniform integrated current density,
J0, will set up a vertical electric field given by

EðzÞ ¼ J0
sðzÞ ¼

J0
s0 exp �z=z0ð Þ ½2�

giving an electric field at the Earth’s surface of
40Vm� 1 which declines exponentially with increas-
ing altitude. The total voltage drop across the giant
spherical capacitor will then be given as the line
integral of this vertical electric field (where one-
dimensional coordinates are used rather than spherical
coordinates, as the vertical extent of the Earth–
ionosphere cavity is small in comparison with the
radius of the Earth, RE):

VI ¼
Z

EðzÞ dz ¼ J0z0
s0

½3�

While the limits of field integration extend from the
Earth’s surface to infinity, the 5 km scale height for
conductivity and electric field indicate that in three
scale heights the field is reduced to 5% of its surface
value and hence more than 95% of the voltage drop is
achieved at 40 km altitude. The integrated potential
difference between the Earth and the upper atmos-
phere is called ‘ionospheric potential’.

The numerical evaluation of VI in the simplified
treatment of the global circuit includes the experi-
mentally determined current density in fair weather,
J0ð2�10�12 Am�2Þ, the conductivity scale height z0
(5 km), and the (extrapolated) conductivity of air at
the surface (5� 10� 14 Sm� 1). The resultingVI value
fromeqn [3] is 200 kV,which is somewhat less than the
value of actual measurements (mean value 250 kV).
The primary reason for this discrepancy is the neglect
of the aerosol-laden planetary boundary layer, the
shallow (B1000m) zone near the surface in which the
conductivity departs from the simple exponential
form given earlier in eqn [1]. The local complications
of the planetary boundary layer have been the major
obstacle to the measurement of the global circuit from
the Earth’s surface. Measurements at sea, where the
boundary layer is substantially less polluted, have
shown records similar to the Carnegie curve on
individual days, but even at sea problems can arise.

The steady-state distribution of electric space
charge within the resistive lower atmosphere of the
spherical capacitor may be determined from Poisson’s
equation,

rðzÞ ¼ e0
dE

dz
¼ � e0J0

s0z0
exp

�z

z0

� �
½4�

where e0 is the permittivity of free space. According to
these simple electrostatic predictions, positive space
charge is distributed throughout the atmosphere, with
maximum value in the lowest part of the atmosphere,
as indicated schematically in Figure 2. An equal and
opposite negative charge resides on theEarth’s surface,
with charge density per unit area given by

S ¼ e0Eðz ¼ 0Þ ¼ e0J0
s0

½5�

and with total negative charge on the Earth

Qtot ¼ 4pR2
ES ¼ 4pR2

Ee0J0
s0

¼ 2�105 C ½6�

Note that this charge is large in comparison with the
charge transferred by single lightning discharges
(B10C), which as a consequence have no discernible
effect on the steady-state VI values or the surface
electric field. The capacitance of the giant spherical
capacitor is, by definition,

C ¼ Qtot

VI
½7�

whose value is approaching one farad. The integrated
resistance of the global circuit can also be computed
analytically, again ignoring the contribution of the
resistive and highly variable planetary boundary layer,
which is most prevalent over land areas. This global
resistance is most easily obtained directly from Ohm’s
law as

R ¼ VI

Itot
¼ VI

4pR2
E J0

¼ 200O ½8�

The time required for the voltage across the giant
capacitor to decay if all sources suddenly ceased is the
RC relaxation time:

RC ¼ ð200OÞð1 faradÞ ¼ 200 s ½9�
Using typical parameters, this gives a relaxation time
of 200 s, or about 3min. This time is somewhat longer
if the effect of the resistive planetary boundary layer is
included.

Schumann Resonances

The AC global circuit shares the same Earth–iono-
sphere medium as the DC global circuit but is a
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substantially richer and more complex phenomenon.
Electromagnetic standing waves within the Earth–
ionosphere cavity, excited by lightning flashes world-
wide, are known as Schumann resonances. The
resonant frequencies are determined by the circumfer-
ence of the natural waveguide and by the speed of light
within the waveguide. The fundamental resonant
frequency is 8Hz.

The effective ionospheric height for the AC global
circuit is systematically greater than for theDCcircuit.
The propagation of electromagnetic waves requires
the displacement current to exceed conduction cur-
rents; the latter currents damp the waves. A meaning-
ful estimate of waveguide height is found by equating
the displacement current and the conduction current

JD ¼ JC ½10�

oe0E ¼ sE ½11�

oe0 ¼ sðzÞ ½12�
The height dependence of electrical conductivity is
given by [1], and so for a frequency of 8Hz this
condition can be solved for a height which is approx-
imately 50 km. This value is approximately 10 con-
ductivity scale heights and hence is significantly
greater than the height needed to achieve the iono-
spheric potential [3] of the DC global circuit.

The application of Maxwell’s equations to a thin
spherical waveguide (assumed uniform for simplicity
of treatment) leads to the normal mode equations for
the electric and magnetic fields resulting from a single
vertical lightning discharge with frequency-dependent
current moment I dSðoÞ, where I is the current in
amperes and dS is the vertical extent of the current-
carrying channel. The role of the ionosphere is treated
with the complex eigenvalue n, which is frequency-
dependent. The parameter a is the radius of the Earth
and h is the height of the waveguide. The P0

n andP
1
n are

complex Legendre polynomials and their derivatives,
respectively. y is the distance between the lightning
source and an observer along a great circle path.

EðoÞ ¼ IðoÞ dS nðnþ 1ÞP0
n ð� cos yÞ

4R2
Ee0oh sin ðpnÞ

measured in Vm�1 Hz�1 ½13�

HðoÞ ¼ IðoÞ dS P1
n ð� cos yÞ

4REh sin ðpnÞ
measured inAm�1 Hz�1 ½14�

These equations have been successfully merged with
measured electromagnetic fields to construct global
maps of extraordinarily energetic lightning flashes,

whose fields dominate all other lightning on the planet
for periods of several hundred milliseconds. Such
maps strongly resemble themaps produced by satellite
observations in Figure 5 in showing strong continental
dominance.

The majority of lightning flashes are not sufficiently
energetic to stand out above all other events, and the
electromagnetic fields of this far larger population of
ordinary flashes superimpose to produce the quasi-
steady ‘background’ resonances. The phase informa-
tion for the integrated activity is lost and the observa-
tions are normally documented as power spectra of
electric andmagnetic fields. Sample spectra, integrated
for a complete 24-hour period for three field compo-
nents (vertical electric, north–south magnetic, and
east–west magnetic), are shown in Figure 4, where
well-defined peaks at 8Hz for the fundamental mode
are seen as well as higher resonant frequencies at 14,
20, 26, and 32Hz. The widths of the various spectral
peaks are indicative of the quality factor Q of the
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Earth–ionosphere cavity. One definition of Q is

Q ¼ f0
Df

½15�

where f0 is the center frequency andDf is the frequency
interval between half-power points of the resonance
curve. Dimensionless Q values are typically in the
range of 3–8, indicating that the Schumann resonances
are not sharply tuned owing to the lossy nature of the
ionosphere.

The background Schumann resonances are more
difficult to interpret for lightning source properties
(location and intensity), because the sources are less
localized than for single events and because lightning
near the receiver can dominate the signal and mask
more distant activity. Nevertheless, because of the
overwhelming dominance of lightning in continental
zones (Figure 5), even the sources for the background
resonances exhibit considerable localization. A mod-
ified form of eqns [13] and [14] has been used to infer
the global vertical dipole moment change squared per
unit time based on observations of the electric and
magnetic power spectra. These measurements are
broadly consistent with earlier estimates of 100 s�1

for the global lightning flash rate.

Comparative Response of the DC
and AC Global Circuit

The first three modes of the electric field of the global
circuit are illustrated within the Earth–ionosphere
cavity in Figure 6. Mathematically speaking, the DC
global circuit is the zeroth-order mode of Schumann
resonances, the AC global circuit. On this basis, one
might expect the ionospheric potential of the DC
circuit and the global charge moment squared per unit
time of the AC global circuit to be highly correlated on
all time scales. While high-quality comparisons of
simultaneous behavior are scarce, the available evi-
dence does not support this prediction. A likely reason
for different behavior lies with the sourceswhich drive
the two global circuits, and the different meteorolo-
gical origins of these sources. Table 1 summarizes the
principal source currents for the DC and AC global
circuit. Charge transfer by point discharge current, by
falling precipitation, and by lightning are all deemed
important for the DC global circuit, whereas only
lightning is believed to contribute substantially to
Schumann resonances.

Historically, the behavior of the diurnal variation of
theDCglobal circuit shown inFigure 3 is viewed as the
cornerstone of atmospheric electricity and a critical
test of the C. T. R. Wilson hypothesis that thunder-
storms sustain the source currents. According to the

simplified earlier development of ideas, a diurnal
variation in integrated current J0 will manifest itself as
a diurnal variation inVI and in the surface electric field
Eðz ¼ 0Þ on a global basis. As noted earlier, the phase
agreement between the thunder day variations and the
Carnegie curve is quite good, but the amplitude
variation of the proxy lightning record is more than
twice that of the Carnegie curve. Three major tropical
storm regions are represented in the thunder day data
in Figure 3 as separate peaks but such clean distinction
is not apparent in the Carnegie curve. These results
strongly suggests that lightning is not the main
contributor to the DC global circuit. Consistent with
this conclusion is the experimental evidence that the
local diurnal variation of point discharge current,
rainfall, and rain current are all substantially smaller
than the local diurnal variation of lightning. Since
point discharge currents, rain currents, and boundary
layer convective charge transport are present in
weather systems other than thunderstorms, it would
appear that a larger collection of weather elements
than thunderstorms alone is needed to account for the
modulations of the DC global circuit.

Further evidence for diverging behavior between the
DC and AC global circuits comes from quantitative
comparisons of the contributions from each of the
threemajor tropical zoneswith the diurnal variation in
universal time (Figure 3). Africa is frequently the
dominant lightning producer both in the classical
thunder day analysis and in numerous observations of
lightning from satellites in space (Figure 5). By
contrast, the Carnegie curve peaks at 19.00 UTwhen
the Americas are most active, suggesting that the
Americas are the dominant tropical contributor to the
DC global circuit.

The annual variation of the global circuit is more
thoroughly documented for the AC component,
because of numerous available observations of global
lightning, and shows a maximum in Northern Hemi-
sphere summer. The comparisons also indicate a
similar result to that on the diurnal time scale: the
annual variation of lightning (nearly a factor of two) is
substantially larger than the annual variation of
surface electric field and ionospheric potential.

Applications of the Global Circuit

A Monitor for Global Change

The verification and physical understanding of global
change has become a topic of enduring interest
worldwide. The connection between a currently
increasing CO2 concentration and an increasing
mean global temperature is controversial and still
unresolved. The global circuit provides a unique
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natural framework for monitoring global integrals:
the collective current from electrified convection and
the total lightning activity. The expectation that global
circuit integrals are responsive to temperature is based

on well-recognized local behavior. For example,
lightning is more likely in the hot afternoon than
during cool nights. At midlatitude locations, lightning
is more frequent in the hot summer than in the cold
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Figure 5 Global distribution of lightning based on (A) optical observations with the DMSP satellite at local midnight (Orville and

Henderson 1986), and (B) optical observations during both day and night with the Optical Transient Detector. (Courtesy NASAMarshall

Space Flight Center.)
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winter. In the tropics, lightning ismore frequent during
warm equinox than during cooler solstice. At all
latitudes, lightning ismore commonoverwarmer land
than over cooler ocean. In general, in the present
climate, one finds greater cloud electrification and
higher lightning flash rates in regions characterized by
stronger conditional instability, larger CAPE (convec-
tive available potential energy), and larger updraft
speeds. In the tropics, such regions are characterized
by large wet-bulb potential temperature, a thermody-
namic quantity representing both temperature and
moisture.

With the aim of understanding global circuit
response to temperature change, a general strategy in
recent years has been to examine global circuit
behavior on time scales for which the temperature
variations and the underlying forcings are reasonably
well established. Substantial correlations between
global circuit behavior and the underlying global
meteorology (which is often temperature-related)

have now been identified on the diurnal, the 5-day,
the 25-day, the 30–60-dayMadden–Julian oscillation,
the semiannual, the annual, and the interannual (El
Niño Southern Oscillation) time scales. The global
circuit sensitivity to surface air temperature on these
various time scales is generally in the range of 10–
100% per 1C. For many of these studies, the determi-
nation of a quantitative sensitivity to temperature has
been hindered by the poor sampling of temperature in
regions dominated by deep convective activity (i.e.,
tropical South America and Africa).

The response of the global circuit to a long-term
increase in temperature associated with global warm-
ing remains an open question. Measurements of the
global circuit have been underway for only 50 years
and very sporadically. The Schumann resonance
records are substantially shorter. These records do
not show significant upward trends. Results from a
general circulation model point to an increase in
lightning, but the key quantities for lightning in the
models, like cloud buoyancy and convective scale
updraft strength, are poorly resolved. If CAPE is
invariant on the long time scale, the only change to be
expected is the increase in moisture with temperature
following the fundamental Clausius–Clapeyron rela-
tion. This dependence is approximately 6%perKelvin
and is substantially smaller than the global circuit
sensitivity to temperature change documented on
shorter time scales. Further work and longer records
are required to discern a meaningful long-term
change.

TheDCglobal circuit also affords an opportunity to
investigate changes in boundary layer pollution on a
global basis. The strategy would be to distinguish
variations in VI caused by source current from
variations in VI caused by global circuit resistance.
The latter quantity is influencedby the resistance of the
planetary boundary layer, which is in turn influenced
by the aerosol population that removes small ions and
reduces the local electrical conductivity. Simultaneous
measurements of the ionospheric potential VI and
numerous single-station measurements of the air–
earth current density would suffice to compute a
global electrical resistance value (recall eqn [8]) whose
changes could then bemonitored. This experiment has
not yet been performed, but the requisite observation-
al methods have been established and verified.

Mesospheric Discharge Phenomena

Optical phenomena in the mesosphere high above
large thunderstorms (mesoscale convective systems)
have been firmly documented within the last
decade, and named sprites, elves, and trolls. All of
these phenomena appear to be accompanied by a

(Source)

n = 0 n = 1

n = 2

Figure 6 Illustrations of the behavior of the vertical electric field

for the first threemodesof theEarth–ionosphere cavity. The zeroth

order mode is the DC global circuit. (Adapted fromWait JR (1996)

Electromagnetic Waves in Stratified Media. Piscataway, NJ: IEEE

Press.)

Table 1 Dominant current sources for the global circuit

DC circuit AC circuit

Point discharge current Lightning current

Precipitation current

Lightning current

Boundary layer convection
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high-amplitude ‘ringing’ of the Schumann resonances
by single-energetic cloud-to-ground lightnings. The
application of the normal mode eqns [13] and [14] to
these isolated transients enables the location and
vertical charge moments to be extracted on the basis
of ELF (extremely low-frequency) global circuit
measurements. Such observations appear to verify
Wilson’s speculations in the 1920s that a sufficiently
large dipole moment change by lightning in the lower
atmosphere can cause a field increase in the upper
atmosphere large enough for dielectric breakdown
and ensuing optical emission. Global maps of event
locations can be prepared on the basis of ELF
measurements from a single location. Such maps are
proxy maps for sprites.

Curiously, the great majority of flashes that cause
upper-atmospheric discharges are ground flashes with
positive polarity, the opposite of the farmore common
negative ground flash that recharges the Earth nega-
tively. Studies of the giant positive discharges with
Schumann resonance methods have shown that they
exhibit larger current and transfer greater amounts of
charge than their negative counterparts. It is not
known whether this asymmetry is related primarily to
local meteorology and differences in the nature of the
local charge reservoirs for the two lightning types, or
whether a contribution arises from the fact that
negative flashes are charging the DC global circuit
and positive flashes are discharging it.

Diagnostic for the D Region of the Ionosphere

The upper conductive boundaries of both the DC and
AC global circuit lie in the lowermost regions of the
ionosphere, where the electron density is some four
orders of magnitude smaller than its daytime maxi-
mumnear 300 kmaltitude. Even large-aperture radars
are insufficiently sensitive to detect and monitor the
lower D region. Measurements in situ by rockets are
limited in space and time. Schumann resonance
methods may provide a useful global diagnostic for
ionization in this region. The parameters of greatest
interest are the Schumann resonance frequencies,
determined by phase velocities of the resonant waves,
and Q values, both of which depend on conductivity
profiles that change with modulations in ionizing
radiation. Recent results have shown systematic
increases in the resonant modal frequencies over the
recent solar cycle that are attributable primarily to
ionization increases in the 80–90 km altitude range.

Conclusion

Renewed interest in the global electrical circuit within
the last decade has spurred newmethods for measure-

ment, the initiation of dedicated monitoring pro-
grams, and a greatly improved understanding of the
global circuit’s relationship with meteorology and
ionospheric physics on many time scales. The DC
global circuit is difficult to measure on a continuous
basis, but possesses a global invariant, ionospheric
potential, that is well defined and quantitatively
accessible. The Schumann resonances are relatively
easy to measure on a continuous basis and are
insensitive to the local variations in the planetary
boundary layer, but the global invariant is more
difficult to extract from single station records. Coor-
dinated measurements with both DC and AC aspects
are most likely to bear the greatest fruit.

See also

Chemistry of the Atmosphere: Chemical Kinetics;
Principles of Chemical Change.Electricity, Atmospher-
ic: Sprites.Middle Atmosphere: Quasi-Biennial Oscilla-
tion; Semiannual Oscillation. Tropical Meteorology:
Inter Tropical Convergence Zones (ITCZ).
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Introduction to Ions in the Global
Atmospheric Electrical Circuit

The terrestrial atmospheric electrical system exchang-
es charge between the planetary surface and the upper
atmosphere, and is maintained by a combination of
charge separation in thunderstorms and vertical ionic
conduction currents in the proportionally rather larger
regions of fair weather. The conduction currents can
only flow because there are charged particles (ions)
present that are sufficientlymobile to be accelerated by
the small electric fields present in the atmosphere.
Consequently, ions have an important part to play in
the maintenance of the global atmospheric electrical
circuit. The charge-generating effect of thunderstorms
leads to a small conduction current throughout fair
weather regions of current density about 2 pAm�2.
The conduction current density J is defined as in
eqn [1], where s is the conductivity andE the potential
gradient (equal in magnitude to the vertical electric
field).

J ¼ sE ½1�
If integrated across the surface of thewhole planet, the
ionic conduction current totals about 2000A, shown
schematically in Figure 1.

Conductivity of Air

Atmospheric air is rarely regarded as an electrical
conductor, but it is able to pass a small electric current
because of the ions it contains. The historical devel-
opment of atmospheric electricity spans the discovery
of the electron and the elucidation of the electrical
structure of matter, which is reflected in the atmos-
pheric electrical usage of the term ion. In general, an
atmospheric ion is a cluster of molecules carrying an
overall charge, i.e., a molecular ion. Such cluster ions,

with dimensions of approximately 1 nm, have usually
been referred to as small ions. Large ions (or Langevin
ions), by comparison, are physically larger (tens to
hundreds of nanometers) and consequently are elec-
trically less mobile. The historical distinction between
large ions and small ions served to distinguish between
ions that could be accelerated by atmospheric electric
fields (and therefore directly contribute to the con-
ductivity of air), and those (the large ions) that were
insufficiently electrically mobile to contribute to
electrical conduction (Table 1).

Nature of Atmospheric Ions

Particle Spectrum

Modernmeasurements have identified small and large
ions as part of the atmospheric aerosol spectrum.

+   Charge Upper atmosphere

Disturbed
weather

Fair weather

Ionization

Cosmic
rays

Radon
isotopes

Gamma
radiation

Negative ion
flux

Planetary surface

Atmospheric
aerosol

Cloud

Positive ion
flux

+
+

++
+

+
+
+

−

Figure 1 The role of ions in the atmospheric electrical system.

Ions are formed throughout the atmosphere by cosmic rays and, in

the boundary layer, by radon isotopes diffusing from the surface.

The ions formed may become attached to atmospheric aerosol

particles or to water droplets in clouds. Those ions that remain are

accelerated by atmospheric electric fields, originating from charge

separation occurring in thunderstorms.
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Aerosol particles span a wide range of sizes in the
atmosphere, from a few nanometers to tens of
micrometers, and the smaller particles are more
prevalent in number concentrations. Large ions are
therefore effectively submicrometer aerosol particles
that have acquired electric charges. Many of the
smaller aerosol particles are capable of acting as
condensation nuclei, depending on the supersatura-
tion, and a small fraction can act as cloud condensa-
tion nuclei (CCN). It is not thought that charge is a
significant property of CCN.

Ion Formation

Small ions are formed by the interaction between high-
energy radiation and air molecules, arising from
natural radioactivity and cosmic radiation. Atomic
ions formed by radiolysis are highly polarizing, and a
cluster of water molecules rapidly forms at a rate
determined by the availability of water vapor. Large
ions form entirely differently; they result from colli-
sions between pre-pexisting aerosol and small ions,
which lead to the small ion becoming attached to the
larger particle. The contribution of the small ion mass
to the combined particle is insignificant, but the
associated charge transfer leads to the resulting
particle becoming charged. Further small ion–large
ion collisions can occur, leading to multiple charging
of large ions, or, if the combining small ion and large
ion have opposite polarities, to neutralization. The
interaction between small ions and large ions is
principally a result of kinetic factors, and electrical
forces only become significant for highly charged large
ions. Collisions between aerosol and small ions are
important as they serve to remove small ions: in air
containing large quantities of aerosol the small ion
content is likely to be correspondingly small, a
principle exploited in the domestic smoke alarm.
This also means that, although the conductivity of air
is principally directly due to its small ion content, the
conductivity is indirectly influenced by large ions and
aerosol through removal of small ions.

Chemical Composition

Atmospheric small ions consist of clusters of water
molecules collected around a singly charged ion.

Hydration occurs within microseconds of the ioniza-
tion (the rate depends on the relative humidity), and
the ions have a lifetime of the order of a hundred
seconds. Positive clusters take the chemical form
Iþ H2Oð Þn where I1 is a typical atmospheric species,
for example H3O

þ;NOþ, or NOþ
2 ; similarly, negative

ions can be represented as I� H2Oð Þn where the ion
could be O�

2 ;CO
�
4 ;NH�

3 ; orNO�
2 . The average value

of n is typically between 4 and 10. The chemical
differences between the species in the positive and
negative ions lead to some physical asymmetries in the
properties of the ions, so the negative ions tend to have
fewer water molecules clustered around them and are
about 20% more mobile than the positive ions.

Electric Charge

Small ions are singly charged and the dominant forces
acting on them are electrical. The electrical mobility m
describes the speed that a molecular ion will attain in
an electric field. It is the ratio of the magnitude of the
electric field to the ion’s drift velocity (The electrostatic
forces acting on the particle are assumed to balance the
drag forces, so that there is no net acceleration). Small
ions have a relatively high mobility of around
10�4m2V�1 s�1, and are more strongly influenced
by electric fields than are other aerosol particles. The
current flowing through the air is almost entirely due
to these small ions, and the conductivity s can be
written as eqn [2], where there are number concen-
trations nþ and n� of positive and negative ions,
with mobilities mþ and m� respectively, and e is the
magnitude of the electronic charge.

s ¼ e nþmþ þ n�m�
� � ½2�

Other, larger, ions exist in the atmosphere, but their
electrical mobilities are several orders of magnitude
less than those of the small clusters, so their contribu-
tion to the air conductivity is negligible in comparison.

Ion Transport

With typical atmospheric electric fields in undisturbed
conditions of 100Vm�1, small ions will typically
migrate under electrical forces at about 1 cm s�1 or
less. However the electrical migration is able to occur
in regions where there is little dynamical motion, in
meteorological terms, and consequently clean air will
always have fresh ions introduced into it either by
electrical migration or by in situ ionization. Large ions
and atmospheric aerosol, however, have negligible
electrical acceleration, and their primarymotion is due
to advective transport arising from dynamical pro-
cesses. The transport of charge may therefore be ionic
or particulate (large ions), and the partitioning of the
atmospheric space charge (the net amount of charge

Table 1 Typical properties of atmospheric particles and droplets

Particle Radius Mobility

(mm) (10�4m2V�1 s�1)

Small ions 0.0005–0.0008 0.5–100

Large ions 0.008–0.03 0.05–0.5

Aerosol 0.003–30

Cloud droplets 2–30

Rain drops 30–3000
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per unit volume) between these processes is therefore
of relevance to the ultimate destination of the charge.

Ion Balance Equation

It is possible to express the behavior of atmospheric
ions in terms of a simplified equation in which their
rates of formation and removal are considered
separately.

Source Term

Formation of ions is essentially due to radiolysis of air
molecules. There are three principal sources near the
surface and in the planetary boundary layer: radon
isotopes, cosmic rays, and terrestrial gamma radia-
tion, and the partitioning between the sources varies
vertically. Near the surface, ionization from turbulent
transport of radon and other radioactive isotopes is
important, together with gamma radiation from
isotopes below the surface. Ionization from cosmic
rays is always present, comprising about 20% of the
ionization at the surface; it increases with increasing
height in the atmosphere and dominates above the
planetary boundary layer, as depicted in Figure 1. The
rate of production of ion-pairs per unit volume is
usually written as q, and this quantity shows consid-
erable temporal and spatial variability. The increasing
fractional contribution of cosmic ray ionization with
height has already been mentioned, but the temporal
variations in q at the surface are also substantial
owning to the effects of turbulence and the transient
production of ions by cosmic rays. A frequently
quoted surface value for q of 10 ion-pairs cm�3 s�1 is
a long-termmean.On time scales of seconds, there can
be significant departures from this value. In themiddle
and upper atmosphere, the cosmic contribution to q
dominates.

Removal Terms

If there are number concentrations nþ and n� of
positive andnegative ions, respectively, then the rate at
which they recombine is proportional to the product
nþn�,with a constant of proportionality a, also known
as the ion–ion recombination coefficient and typically
assumed to be 1.6� 10�12m3 s�1. This is the principal
loss mechanism of ions in clean, aerosol-free air. If
aerosol is present, then ions are also lost by attachment
to the aerosols, and this mechanism can dominate in
polluted air. The rate of ion loss is again proportional
to the product of number concentrations, in this case
the product of the aerosol and the ion number
concentrations.

Bipolar Ion Equations

Equations [3] and [4] describe these ion processes.

dnþ
dt

¼ q� anþn� � nþbþZ ½3�

dn�
dt

¼ q� anþn� � n�b�Z ½4�

The rate of change of ion concentration is determined
by an ion source term q, and the two loss terms
described above. Ion-pairs are produced at a rate q per
unit volume.The rate of ion loss by attachment is given
by nbZ, where bþ and b� are the appropriate ion–
aerosol attachment coefficients and Z is the aerosol
number concentration. In these equations, the consid-
erable simplification has beenmade of assuming that it
is possible to regard the aerosol as monodisperse (i.e.,
having a single particle size) so that a single value ofZ
is appropriate. The attachment coefficient varies with
aerosol radius, therefore bZ is in fact more accurately
determined for atmospheric particles as an integral
evaluated across the aerosol size distribution. There
are many theoretical approaches to the problem of
calculating b, which depend on the aerosol particle
size considered, but b is typically 5� 10�11m3 s�1 for
aerosol particles with the radii most prevalent by
number (0.2 mm) in lower regions of the atmosphere.

Time-dependent Solution

It is instructive to simplify the ion balance equation by
neglecting the ion sign (i.e. nþ � n� ¼ n), so that the
ion–aerosol equation can be written as eqn [5].

dn

dt
¼ q� an2 � nbZ ½5�

Integrating this equation gives the ion concentration n
as a function of time t. This time-dependent solution is
given in eqn [6], from which several instructive points
should be noted.

n tð Þ ¼

b2Z2 þ 4aq
� �1=2�bZ
h i

2a

1� e� b2Z2þ4aqð Þ1=2t
� �

1þ e� b2Z2þ4aqð Þ1=2t
� �
2
664

3
775
½6�

First, if the ion-pair production rate q is uniform and
the removal rates are also steady, the ion concentration
tends to a steady value for large values of t. Second, the
equation can be simplified according to the situations
in which attachment or recombination dominates as
the removal mechanism, according to whether an2 or
nbZ is the bigger term. In the atmosphere in polluted
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air, these terms are roughly comparable, and therefore
all the terms in eqn [5] have to be evaluated.

Recombination Limit

In the case of ion loss solely by recombination, eqn [6]
reduces to eqn [7] and the concentration after a long
time has elapsed is given by n1 ¼ q=að Þ1=2.

n tð Þ ¼ q

a

h i1=2 1� e�2 aqð Þ1=2t
� �
1þ e�2 aqð Þ1=2t
� �
2
4

3
5 ½7�

Inserting typical atmospheric values of q � 10 ion-
pairs cm�3 s�1 and a ¼ 1:6�10�6cm3 s�1 gives n1 ¼
2500 ion-pairs cm�3. Typical values of small ion
concentrations observed in mountain air are about
500 ions cm�3 of each sign, suggesting that attach-
ment processes are almost always significant in mod-
ulation the ion concentrations. There is one other
factor that influences measured ion concentrations:
near to the Earth’s surface in nonturbulent situations
of atmospheric stability, the planet’s negative charge
causes an increase of positive ions and a depletion of
negative ions. This is known as the electrode effect.

Ions and Health

Indoor atmospheres are frequently very deficient in
small ions, and asymmetries in ion removal due to
charged surfaces on furnishings lead to asymmetries in
the remaining ion concentrations. It has been suggest-
ed that this may be the cause of some health problems,
but this work appears inconclusive. Ionizers are
widely used domestically to produce additional ions
(generally negative ions, by corona) to replenish
concentrations in indoor environments, but it is
difficult for this not to affect the charging of aerosols
and therefore the removal of ions. Both positive and
negative ions are readily produced in atmospheric air;
therefore, if there is any conceivable support for the

anecdotal effect on health it is likely to be a result of the
asymmetry in their concentrations. Some experiments
suggest, however, that some negative ions have
bactericidal effects.

Ion Measurement

Atmospheric ions can be measured by exploitation of
their electrical properties, for example, theirmigration
toward an opposite charge in an electric field. The
simplest way of counting ions is to place them in an
electric field, for example by blowing air between two
metallic plates or into a conducting cylinder with a
central electrode. If one of the plates is grounded, and
the electric field sufficiently strong to ensure that all the
unipolar ions are collected on the other electrode, then
a current can be measured that is proportional to the
concentration of air ions. As small ions are known to
be singly charged, the number of ions can easily be
calculated.

Gerdien Condenser

If only a fixed fraction of the ions contributes to the
ion current, then the electrical conductivity of the air
can be measured. The German scientist Gerdien first
developed a method for measuring air conductivity
in 1905. It uses a cylindrical condenser, with a voltage
applied between two cylindrical electrodes, the
inner one being earthed through a sensitive ammeter
(Figure 2). In the tube, ions of the same sign as the
polarizing voltage are repelled by the outer electrode
and move in the electric field to meet the inner
electrode, where they cause a small current. Typical
currents in the large ion counters of early this century
were about 10�12A, but in modern, miniaturized
Gerdien condensers sensitive electrometry can detect
currents of order 10�15A, giving resolution of about
20 ions cm�3. Unipolar conductivity s� is given by
eqn [8], where i is the current, C is the capacitance of
theGerdien,V the voltage across the electrodes, and e0

Reversible variable
voltage supply

Air flow

Outer electrode Central electrode

Radius b

a

Sensitive ammeter

L

Figure 2 Schematic of a Gerdien condenser for measuring atmospheric ions.
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is the permittivity of free space.

s� ¼ ie0
CV�

½8�

This relationship is valid for measuring conductivity,
as long as the output current is proportional to the bias
voltage,which indicates that a fixed fraction of air ions
are collected by the central electrode. If the current is
not linearly related to the voltage, then all the
atmospheric ions are collected, and the instrument is
operating as an ion counter.

Mobility Spectrometry

The fraction of ions contributing to the current
measurement can be varied by changing the magni-
tude of the electric field or the dimensions of the
capacitor. This affects the maximum mobility (or
minimum size) of ion that can pass through the
tube without being drawn to the central electrode
and contributing to the current. We can therefore
define a critical mobility mc, which is the minimum
mobility of ions contributing to the conduction
current. If L is the length of the tube, a and b are the
radii of the outer and inner electrodes, u is the speed of
air flow, andV is the voltage across the tube, then mc is
given by eqn [9].

mc ¼
a2 � b2
� �

ln a=bð Þu
2VL

½9�

Varying the voltage across the tube, or the flow rate
through it, therefore provides a way to study the
characteristics of ions of different sizes. If current
measurements are made with different voltages across
the capacitor, we can approximate the ion concentra-
tion n from a determination of the conductivity, and
the critical mobility using eqn [10]

n ¼ s
emc

½10�

where e is the charge of the electron. Ionic mobility
spectra, which are important for observing the be-
havior of ions and their evolution, canbe resolvedwith
equipment based on this relatively simple principle.

Voltage Decay Method

The method of current measurement described above
is commonly deployed because of its simplicity and
high time resolution, but an alternative technique has
historically also been used tomeasure air ions with the
same instrument. Since the Gerdien tube is a cylindri-
cal capacitor, if it is charged up to a certain voltage and
allowed to decay from that voltage then its rate of
decay depends on the concentration of air ions. If the
time constant of the decay is t, the conductivity is given

by eqn [11].

s ¼ e0
t

½11�

The decay characteristic has classically been assumed
to be analogous to exponential decay of a capacitor
through a resistor in a standard electrical circuit.
However, eqn [9] shows that as the voltage across the
Gerdien tube varies, the fraction of ions contributing
to the measurement changes as well. This is similar to
the decay of the charge on a capacitor decaying
through a resistor, forwhich the voltage decay is rather
more complicated to determine if the resistance is
variable. The voltage decay technique has been
neglected in the hundred-year history of ion measure-
ment because of the time taken to acquire a measure-
ment, but it is useful as a calibration tool as it does not
require a sensitive femtoammeter with its associated
calibration issues.

Modern Implementations

The approach of using a cylindrical capacitor to
measure ions is by no means a new one. However,
present-day electronics, data processing, and materi-
als technologymake such difficultmeasurementsmore
straightforward than in the past, and the use of the
Gerdien condenser has undergone something of a
renaissance in recent years. Its subtleties make it a
powerful tool for measurements of all sizes of atmos-
pheric ions and charged aerosol, and there are many
variants on the basic principle adapted to specific ion
measurement problems.

Ions and Climate

Direct Condensation onto Ions

It has long been assumed that atmospheric ions have
little relevance to the climate system as they have no
direct role in cloud formation. It possible to demon-
strate theoretically that condensation on ions cannot
occur unless the air is highly supersaturatedwithwater
vapor, at levels vastly greater than the few percent
observed in atmospheric air. The cloud chamber
invented by C.T.R. Wilson in the 1890s is able to
show the tracks of alpha particles through the clouds
forming on the ions produced only because the
supersaturation is typically 400%. Such supersatura-
tion levels are not found in the atmosphere and
therefore cloud formation by the direct nucleation of
water clouds on ions is exceedingly improbable.

Formation of Condensation Nuclei

Recent work has identified a greater possible signifi-
cance for the small ions within the climate system,
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because of theoretical predictions that they are able to
assist the formation of ultrafine aerosol particles, some
of which may subsequently be able to act as cloud
condensation nuclei (CCN).

The recombination of small ions is a more rapid
process than the growth of neutral molecular clusters,
and can lead to large clusters on which sulfuric acid
condenses. Although there is much still to be deter-
mined about this mechanism, if there is sufficient
sulfuric acid vapor, perhaps produced photochemical-
ly in relatively clean air, then some ultrafine particles
may be formed as a result of the ion recombination.
Laboratory studies have shown that particles can grow
from ions in air, and the growth of particles from ions
is known to be theoretically feasible. The laboratory
experiments frequently use radioactive sources to
produce ionization rates many orders of magnitude
larger than typical values in the air, so it is difficult to
relate these results to atmospheric conditions. At the
moment there are no observations of CCN growing
from ions in the atmosphere, although there are
observations of small ions growing during the day
into intermediate ions.

Relevance of Ions

Since the supply of ions is significantly influenced by
the atmospheric electrical system and the flux of

cosmic rays, then, if significant numbers of CCN are
formed by this mechanism, there will be a variety of
hitherto neglected factors influencing cloud forma-
tion. The low-energy cosmic ray flux is also partly
modulated by the 11-year solar cycle, introducing
a further complication. Since small ion production
by cosmic rays is ubiquitous throughout the
atmosphere, it is increasingly untenable to regard
the atmospheric electrical system as irrelevant to the
climate system.

See also

Aerosols: Physics and Chemistry of Aerosols; Role
in Cloud Physics. Electricity, Atmospheric: Global
Electrical Circuit. Radioactivity: Cosmogenic Radio-
nuclides.
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Introduction

Science often advances at a deliberate and cautious
pace. Over a hundred years passed before the persist-
ent reports of luminous events in the stratosphere and
mesosphere associated with tropospheric lightning
were accepted by the scientific community. Since
1886, dozens of eyewitness accounts, mostly pub-
lished in obscure meteorological publications, have
been found alongside articles describing meteorolog-
ical esoterica such as half-meter-wide snowflakes and
toads falling during rain showers. The phenomena
were variously described using terms such as ‘cloud-
to-space lightning’ and ‘rocket lightning’. A typical
description might read ‘In its most typical form it
consists of flames appearing to shoot up from the top
of the cloud or, if the cloud is out of sight, the flames
seem to rise from the horizon’. Such reports were

largely ignored by the nascent atmospheric electricity
community, even when they were posted by a Nobel
Prize-winning physicist. As early as 1925, C.T.R.
Wilson proposed possiblemechanisms to explain such
phenomena. In 1956 Wilson commented

It is quite possible that a discharge between the
top of the cloud and the ionosphere is a normal
accompaniment of a lightning discharge to earth
y a diffuse discharge between the top of the
cloud and the upper atmosphere y many years
ago I observedwhat appeared to be discharges of
this kind from a thundercloud below the hori-
zon. Theywere diffuse, fan-shaped flashes, green
in color y extending up into a clear sky.

During the last three decades, several compendia of
similar subjective reports from credible witnesses
worldwide were prepared by Otha H. Vaughan
(NASA Marshall) and the late Bernard Vonnegut
(The State University of New York – Albany). The
events were widely dispersed geographically from
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equatorial regions to above 501 latitude. About 75%
of the observations were made over land. The eyewit-
ness descriptions shared one common characteristic:
they were perceived as highly atypical of ‘normal’
lightning. The reaction of the atmospheric science
community could be summarized as indifference at
best. Then, as so often happens in science, serendipity
intervened.

Hard Evidence Emerges

The air ofmystery began to dissipate at 0414UTCon6
July 1989. Scientists from the University of Minne-
sota, led by Professor John R. Winckler, were testing
a low-light CCD video camera system (LLTV) for a
forthcoming rocket flight at an observatory in central
Minnesota. The resulting tape contained, quite by
accident, two fields of video that provided the first
hard evidence for what are now called sprites. The
twin pillars of light were assumed to originate with a
thunderstorm system some 250 km to north along the
Canadian border. The storm system, while not espe-
cially severe, did contain a larger than average number
of positive-polarity cloud-to-ground (1CG) lightning
flashes. From this singular observation emanated a
decade of fruitful research into the electrodynamics of
the middle atmosphere.

In the early 1990s, NASA scientists searched tapes
from the Space Shuttle’s LLTV camera archives and
confirmed at least 17 apparent sprites above storm
clouds occurring worldwide. The orbital perspective
suggested a relationship between sprites and tropo-

spheric lightning. The specific lightning flashes asso-
ciated with the observed sprites were often among the
brightest in the region. The sprites occurred within
milliseconds of the brightest cloud illumination, and
were apparently triggered by especially energetic
discharges within the storm cell. The parent convec-
tive systems, while often larger than their neighbors,
had otherwise unexceptional flash rates. Figure 1
portrays the global distribution of sprite reports. By
late 1999 and early 2000 the first sprites (and elves)
had been detected above European convective storms.

By 1993, NASA’s Shuttle Safety Office had devel-
oped concerns that this newly discovered ‘cloud-to-
space lightning’might be fairly common and thus pose
a potential threat to Space Shuttle missions, especially
during launch or recovery. Based upon the available
evidence, the author’s hunt for these elusive eventswas
directed above the stratiform regions of large meso-
scale convective systems (MCSs), known to generate
relatively few but often very energetic lightning
discharges. On the night of 7 July 1993, an LLTV
was deployed for the first time at theYuccaRidge Field
Station (YRFS), on high terrain about 20 km east of
Fort Collins, Colorado, USA. Exploiting an uninter-
rupted view of the skies above the High Plains to the
east, the LLTV was trained above a large nocturnal
MCS in Kansas, some 400 km distant. Once again,
good fortune intervened as 248 sprites were imaged
over the next four hours. Analyses revealed that
almost all the sprites were associated with 1CG
flashes, and assumed an amazing variety of shapes
(Figure 2). Within 24 h, in a totally independent

GLOBAL DISTRIBUTION OF SPRITE OBSERVATIONS

GROUND/AIRCRAFT

SPACE SHUTTLE

Figure 1 Global distribution of reports of sprites and elves (as of 2000). The US events are shown schematically as hundreds of storms

have been monitored in that region.
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research effort, sprites were imaged by a University of
Alaska team on board the NASA DC8 aircraft over
Iowa. The following summer, the University of Alas-
ka’s flights provided the first color videos detailing the
red sprite body with bluish, downward-extending
tendrils. The same series of flights documented the
truly bizarre blue jets.

By 1994 it had become apparent that there was a
rapidly developing problem with the nomenclature
being used to describe the various findings in the
scientific literature. The name ‘sprite’ was elected so as
to avoid employing a term that might presume more
about the physics of the phenomena than our knowl-
edge warranted. Sprite replaced terms as ‘cloud-to-
space’ lightning and ‘cloud-to-ionosphere discharge’
and similar appellations that were initially in use. The
intentionally fanciful names given to phenomenawere
selected in the same spirit. Today a host of phenomena
have been named: sprites, blue jets, blue starters, elves,
sprite halos, and trolls, with perhaps others remaining
to be discovered. Collectively they have been termed
Transient Luminous Events (TLEs).

A Description of TLEs

Since the first sprite observations in 1989, the scientific
community’s misperception of the middle atmosphere
above thunderstorms as ‘uninteresting’ has completely
changed. Much has been learned about the morphol-
ogy of TLEs in recent years. Sprites can extend
vertically between 95 km and less than 30 km. While
telescopic investigations reveal that individual tendril
elements may be of the order of 10m across, the total
illuminated volume can exceed 104 km3. Sprites are
almost always preceded by 1CG flashes, with time

lags of less than 1ms to over 100ms. To date, there are
only two documented cases of sprites associated with
negative-polarity CGs. The sprite parent 1CG peak
currents range widely, from under 10 kA to over
100 kA, though on average the sprite 1CG peak
current is 50% higher than other 1CGs in the same
storm. High-speed video images (1000 fps) suggest
that many sprites usually initiate around 70–75 km
from a small point, and first extend downward and
then upward development at speeds of around
107m s�1. Sprite luminosity on typical LLTV videos
can endure for tens of milliseconds. Photometry
suggests, however, that the brightest elements usually
persist for a few milliseconds, though occasionally
small, bright ‘hot spots’ linger for tens ofmilliseconds.
By 1995, sprite spectral measurements by Russell
Armstrong of Mission Research Corporation con-
firmed the presence of the N2 first positive emission
lines. In 1996, photometry provided clear evidence of
ionization in some sprites associated with blue emis-
sions within the tendrils and sometimes the sprite
body. Peak brightness within sprites is on the order of
1000 kR. In seven years of observations at Yucca
Ridge, sprites were typically associated with larger
storms (4104 km2 radar echo), especially those ex-
hibiting substantial regions of stratiform precipita-
tion. The TLE-generating phase of High Plains storms
averages about 3 h. The probability of optical detec-
tion of TLEs from the ground in Colorado is highest
between 0400 and 0700 UTC. It is suspected that
sprite activity is maximum around local midnight for
many storms around the world. The TLE counts
observed from single storm systems has ranged from
1 to 776, with 48 as an average count. Sustained rates
as high as once every 12 s have been noted, but more
typical intervals are on the order of 2–5min.

Like snowflakes, no two sprites are alike. Develop-
ing a taxonomy to describe sprite shapes has proven to
be a challenge, though several names have come into
common use. The vertically oriented, narrow (order
1 km) columnar sprites are often referred to as
c-sprites (Figure 3). Sprites that have pronounced
downward-extending tendrils and upward-flaring
streamers have been referred to as ‘carrots’
(Figure 4). Some amorphous and apparently struc-
tureless events have been termed ‘smudges’. Rapid-fire
successions of sprites appearing to propagate above a
cloud top have been termed ‘dancers’ (Figure 5).

Can sprites be detected with the naked eye? The
answer is a qualified yes. Most sprites do not exceed
the threshold of detection of the dark-adapted human
eye, but some do. Naked-eye observations require a
dark (usually rural) location, no moon, very clean air
(such as visibilities typical of the western United
States), and a dark-adapted eye (5min or more). A

Figure 2 A low-light television image of a sprite at a range of

about 600 km from the camera. The sprite extends from about

90 km downward to about 40 km (The bright spot at the lower left is

Jupiter).
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storm located 100–300 kmdistant is ideal if it contains
a large stratiform precipitation area with 1CGs. The
observer should stare at the region located some 3–5
times the height of the storm cloud (Figure 6). It is best
to shield the eye from the lightning flashing within the
parent storm. Often sprites are best seen out of the
corner of the eye. The event is so transient often
observers cannot be sure of what they may have seen.
The perceived color may not always appear ‘salmon
red’ to any given individual. Given the human eye’s
limitations in discerning color at very low light levels,
some report seeing sprites in their natural color
but others see them as white or even green (as did
C.T.R. Wilson). Figure 7 is an LLTV sprite imaged
rendered to what are believed to be close to the sprite’s
true colors.

While most TLE discoveries came as a surprise, one
was predicted in advance from theoretical arguments.
In the early 1990s, Stanford University researchers
proposed that the electromagnetic pulse (EMP) from
CG flashes could induce a transient glow at the lower
ledge of the ionosphere between 80 and 100 km
altitude (Figure 8). Evidence for this was first noted
in 1994 using LLTV at Yucca Ridge. Elves were
confirmed the following year by photometric arrays
deployed at Yucca Ridge by Tohoku University. Elves,
as they are now called, are believed to be expanding
quasi-toroidal structures that attain a width of up to
several hundred kilometers. (The singular is elve,
rather than elf, in order to avoid confusion with ELF
(extremely low frequency) radiowaves which are used
intensively in TLE studies.) Photometric measure-
ments suggest that an elve’s intrinsic color is red owing
to strong N2 first positive emissions. While relatively
bright (1000 kR), their duration is o500 ms. Elves
follow very high peak current (often 4100 kA) CGs,

most of which are positive in polarity, by about
B300 ms. Stanford University researchers, using sen-
sitive photometric arrays, documented the outward
and downward expansion of the elve’s disk. They also
suggest many more dim elves occur than are detected
with conventional LLTVs. These fainter elves have
been suggested to be more evenly distributed between
positive- and negative-polarity CGs.

It has been determined recently that some sprites are
preceded by a diffuse disk-shaped glow that lasts
about a millisecond and superficially resembles an
elve. However, these structures, now called ‘sprite
halos’, are less than 100 km wide, and propagate
downward from about 85 to 70 km altitude. Sprite
elements sometimes emerge from the lower portion of
the sprite halo’s concave disk.

Blue jets are rarely observed from ground-based
observatories, in part because of atmospheric scatter-
ing of the shorter wavelengths. LLTV video from
aircraft missions revealed blue jets emerging from the
tops of electrically active thunderstorms. The jets
propagate upward at speeds of B100 km s� 1, reach-
ing terminal altitudes around 40 km. Their estimated
brightness is on the order of 1000 kR. Blue jets do not
appear associated with specific CG flashes. Curiously,
however, CG lightning activity appears to cease for
several seconds within a 15 km radius after each
occurrence of a blue jet. Some blue jets appear not to
extend very far above the clouds, only propagating as
bright channels for a few kilometers above the storm
tops. These nascent blue jets have been termed blue
starters. During the 2000 observational campaign at
Yucca Ridge, the first blue starters ever imaged from
the ground were noted. They were accompanied by
very bright, short-lived (B20ms) ‘dots’ of light at the

Figure 3 An example of thin columnar sprites (c-sprites) with

downward-extending tendrils. (The bright spot is Jupiter.)

Figure 4 A close-range (around 175 km) view of a ‘carrot’ type

sprite with both downward-extending thin tendrils and bright

upward branches.
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top of MCS anvil clouds. There have been anecdotal
associations of blue jets with hail-producing storms. A
NASA ER2 pilot flying over the Dominican Republic
above Hurricane Georges in 1998 described seeing
luminous structures that resembled blue jets.

The troll is the most recent addition to the TLE
family. In LLTV videos, trolls superficially resemble
blue jets, yet they are clearly dominated by red
emissions. Moreover, they occur after an especially
bright sprite in which tendrils have extended down-
ward to near cloud tops. The trolls exhibit a luminous
head leading a faint trail moving upward initially
around 150 km s� 1, then gradually decelerating and
disappearing by 50 km. It is still not known whether
the preceding sprite tendrils actually extend to the
physical cloud tops or whether the trolls emerge from
the storm cloud per se.

The Lightning Source Term for TLEs

Worldwide, a variety of storm types have been
associated with TLEs. These include the larger mid-
latitude MCS, tornadic squall lines, tropical deep
convection, tropical cyclones, andwinter snow squalls
over the Sea of Japan. It appears, however, that the
central United Statesmay be home to some of themost
prolificTLEproducers, even thoughonly aminority of
High Plains thunderstorms produce TLEs. Some
convective regimes, such as supercells, have yet to be
observed producingmanyTLEs, and the few that have
been observed are mostly confined to the stratiform
precipitation region that may develop during the late
mature and decaying stages. Furthermore, the vast
majority of 1CGs, even many with peak currents
above 50 kA, produce neither sprites nor elves that are

Figure 5 Example of a ‘dancing’ sprite in which five separate sprites appear in succession moving north-eastward above the trailing

stratiform region of a mesoscale convective system in eastern Nebraska. Three1CGs were detected by the NLDN that were associated

with given sprites. It is believed the three 1CGs are part of a continuous discharge characterized by a 4100 km long horizontally

propagating ‘spider’ lightning discharge. The sprite images were obtainedwith an off-the-shelf ITT Night Vision systemsmated with a DV

camcorder.
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detectable using standard LLTV systems. While large
peak current 1CGs populate both MCSs and super-
cells, only certain 1CGs possess characteristics that
generate sprites or elves.

Monitoringof ELF radio emissions in the Schumann
resonance bands (8–120Hz) has provided a clue to
what differentiates the TLE parent CG from ‘normal’
flashes. ThebackgroundSchumann resonance signal is
produced from the multitude of lightning flashes
occurring worldwide. It is generally a slowly varying
signal, but periodically brief amplitude spikes, called

Q-bursts, are noted. Their origin was a matter of
conjecture for several decades. In 1994, visual sprite
observations at Yucca Ridge were coordinated in real
time with ELF transients (Q-bursts) detected at a
Rhode Island receiver station operated by Earle
Williams of the Massachusetts Institute of Techno-
logy. This experiment, repeated many times since,
clearly demonstrated that Q-bursts are companions to
the1CGflashes generating both sprites and elves. ELF
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Figure 6 The geometry of sprite watching.

Figure 7 A low-light television image of a sprite at a range of

about 400 km from the camera. The glow on the horizon is from the

parent lightning stroke. The sprite has been colorized to showwhat

is believed to be close to the true color.

Figure 8 Low-light television image of a large elve above a

distant thunderstorm. Note the lower intensity near the center,

indicative of the expanding toroidal-shaped structure of the elve.
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measurements have shown that sprite parent 1CGs
are associated with exceptionally large charge mo-
ments (300 to 42000Ckm). The sprite 1CG ELF
waveform spectral color is ‘red’, that is, peaked
toward the fundamental Schumann resonance mode
at 8Hz. Lightning charge transfers of hundreds of
coulombs may be required for consistency with
theories for sprite optical intensity and to account
for the ELF Q-burst intensity. Lightning that causes
elves has a much flatter (‘white’) ELF spectrum and,
though associated with the very highest peak current
1CGs, exhibits much smaller charge moments
(o300Ckm).

Recent studies of High Plains MCSs confirm that
their electrical and lightning characteristics are radi-
cally different from the textbook ‘dipole’ thunder-
storm model, derived largely from studies of rather
small convective storms. Several horizontal laminae of
positive charge are found, one often near the 01C layer,
and these structures persist for several hours over
spatial scales of B100 km. With positive charge
densities of 1–3 nCm�3, even relatively shallow layers
(of order 500m) covering 104 to 105 km2 can contain
thousands of coulombs. Some 75 years ago, C.T.R.
Wilson postulated that large charge transfers and
particularly large charge moments from CG lightning
appear to be a necessary condition for conventional
breakdown that could produce middle-atmospheric
optical emissions. Sprites occur most readily above
MCS stratiform precipitation regions with radar
echoes larger than B104 km2. It is not uncommon to
observe rapid-fire sequences of sprites propagating
above storm tops, apparently in synchrony with a
large underlying horizontal lightning discharge. One
such ‘dancer’ included a succession of eight individual
sprites within 700ms along a 200 km long corridor.
This suggests a propagation speed of the underlying
‘forcing function’ of B3� 105m s�1. This is consist-
ent with the propagation speed of ‘spider’ lightning –
vast horizontal dendritic channels tapping extensive
charge pools once a 1CG channel with a long
continuing current becomes established.

It is suspected that only the larger MCS, which
contain large stratiformprecipitation regions, give rise
to the 1CGs associated with the spider lightning
networks able to lower the necessary charge to
ground. The majority of sprite parent 1CGs are
concentrated in the trailing MCS stratiform regions.
The radar reflectivities associated with the parent
1CGsare relativelymodest, 30–40 dBZor less.Only a
small subregion of trailing stratiform area produces
sprite and elves. It would appear that this portion of
the MCS possesses, for several hours, the requisite
dynamical and microphysical processes favorable for
the unique electrical discharges that drive TLEs.
Tables 1 and 2 summarizes the relationships between
lightning and the major TLE types.

The Causes of Transient Luminous
Events

TLEs have captured the interest ofmany theoreticians.
Several basic mechanisms have been postulated to
explain the observed luminous structures. These
include sprite excitation by a quasi-electrostatic (QE)
mechanism. Sprite production by runaway electrons
in the strong electric field above storms has been
suggested. The formation of elves from lightning
electromagnetic pulses is now generally accepted.
More than one mechanism may be operating, but on
different temporal and spatial scales, which in turn
produce the bewildering variety of TLE shapes and
sizes. Absent from almost all theoretical modeling
efforts are specific data on key parameters character-
izing lightning flashes that actually produce TLEs.
Many modelers refer to standard reference texts,
which, in turn, tend to compile data taken in storm
types and locations that are not representative of the
nocturnal High Plains. Specifically, many invoke the
conventional view that the positive charge reservoir
for the lightning is found in the upper portion of the
cloud at altitudes of B10 km. The positive dipole (or
tripole) storm model has been found wanting in many

Table 1 Current ideas on TLE storm/lightning parameters in selected storm types

Core of supercells MCS stratiform region ‘Ordinary’ convection

1CG peak currents 4B40 kA 4B60 kA B30 kA

Storm dimension 10–20km 10–500km o100 km

Spider discharges Few/small Many/large Some

Continuing current Short if any Longest Some

1CG Channel height 10–15km? 5 km? 10 km?

Sprites occur? No (except at end)a Many Rare?

Elves occur? No (except at end)a Many Rare?

Blue jets occur? Yes? Rare? Rare?

aSome supercells may generate a few sprites during their final phase when/if extensive stratiform develops.
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midcontinental storms. A survey was made of the
range of lightning parameters used in over a dozen
theoretical modeling studies. While the proposed
heights of the vertical 1CG channel ranges from 4 to
20 km, there is a clear preference for 10 km and above.
The amount of charge lowered varies over three orders
of magnitude, as does the time scale over which the
charge transfer occurs. Only a few papers consider the
possible role of horizontal components of the parent
discharge. The charge moment (in Ckm) – not the
peak current as measured by the National Lightning
Detection Network (NLDN) – is the key parameter in
the basic QE conventional breakdown mechanism
first proposed by Wilson. The key physics of the
problemappears to involve the altitude andmagnitude
of the removed charge and the time scale on which
this occurs, parameters about which little agree-
ment exists. Many theorists note that even with an
assumed tall1CG channel (B10km), extremely large
(B100C) charge transfers, typically ten times larger
than in ‘conventional’ lightning, are required to trigger
sprites. Some models yield a thousandfold enhance-
ment in optical intensity at 75 km for a doubling of
lightning charge removal altitude from 5 to 10 km.
The use of shorter channels to ground, say 5 km,
would imply truly large charge transfers. Evidence is
accumulating that indeed suchmay be the case. Recent
estimates of charge moments associated with sprite
parent lightning 1CGs suggest values are typically at
least 300–600Ckm, and often much larger.

While the variousmodels simulate optical emissions
bearing some (though in many cases rather minimal)
resemblance to the observations, thewide ranges in the
lightning source term parameters used by modelers do

not appear physically realistic. If, in fact, such a range
of lightning characteristics could produce sprites, why
does only a very small subset of1CGs (o1:20 even in
active storms) actually produce observable TLEs (with
current sensors)? It appears that most models have
made assumptions about the lightning in order to
produce something resembling a TLE, rather than
starting with hard physical constraints on the source
term. The reason, of course, is that there is very little
data on the actual CGs that generate specific TLE
occurrences.

Shortly after the confirmation in 1993 of sprites as a
frequently occurring phenomenon, speculation began
that meteors might serve as a trigger for sprites in the
intense electric fields above large MCS. This notion
was quickly dismissed during several summers of
observations of meteor showers coincident with large
MCS systems over the United States, which found no
sprite–meteor pairings. However, in 1998, a small
meteor descending below 100 km altitude appeared
to have triggered a sprite above an MCS. No coinci-
dent CG lightning flash was observed and the
sprite appeared to originate close to the end of the
luminous meteor trail. Even more curiously, a
jetlike feature appeared to move about 10 km back
up the ionized trail left by the meteor. This (so far)
unique event illustrates how complex and interrelated
middle-atmospheric electrical discharge phenomena
may be.

Experimental Measurements

Since the late 1990s more and more complex meas-
urement programs have begun to be undertaken to

Table 2 Current speculations about characteristics of TLEs and their parent lightning (none for blue jets)

Sprite Elve Blue jet

Color of emission Red top/blue base Red? Deep blue

Polarity of parent CG Positive Positive (mostly) None

1CG Peak current 4B50 kA 4B100 kA None

Charge transferred Largest Large N/A

Charge moment Largest Large N/A

Parent CG location Stratiform area Stratiform area? N/A

Parent CG vertical channel height 5 km? 10 km? N/A

D I/DT value ? Large? N/A

Total flash duration Very long Short? N/A

Spider involved Yes? No? N/A

Continuing current duration Very long? Short if any? N/A

VLF/ELF slow tail Distinct Possible N/A

ELF spectral color Red White None

VLF audio character Low frequency Higher frequency None

Duration of TLE 1–150ms 0.5ms 100–200ms

Altitude range of TLE 25–95km 75–105 km Cloud–40 km

Onset delay after CG 1–100ms 0.325ms N/A

Brightness 50–1000kR 1000 kR 1000 kR

Horizontal size of emission 100m–100 km 100–400km B2 km
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study TLEs. One of the more important gaps in our
knowledge concerns the electric environment above
large thunderstorms during TLE episodes. Conse-
quently, the 1999 NASA Sprite Balloon Campaign,
directed by E.A. Bering of the University of Houston,
conducted several high-altitude balloon flights. The
last mission flew out of Ottumwa, Iowa, on the night
of 20–21August 1999. The balloon payload floated at
32 km and drifted westward at B30 knots. Ground-
based LLTV observations were made from three sites
(inWyoming, South Dakota, and Colorado). All three
stations had clear skies. There were two small TLE-
producing storms, one in eastern South Dakota and
one in central Kansas. Of 67 TLEs seen by at least one
station or the balloon, 5 were seen by two or more
stations. The balloon data at a typical range of 300 km
show that the sprite is accompanied by a positive
vertical electric field pulse ofB0.2Vm� 1. Curiously,
no perturbation in any component of the electromag-
netic fields was observed during the several millisec-
onds between the lightning flash and a sprite. Also,
two very bright elves were detected by ground and
balloon optical sensors. The NLDN, however, failed
to compute any associated CG. Analysis of the raw
network sensor data did reveal that the elve parent
lightning events were each observed by over 75%
of the NLDN’s sensors nationwide. This powerful
sferic was so complex as to prevent classification
by the NLDN algorithms. Preliminary results
from this flight have indicated that more data are
required before we can understand the complex
physics involved.

Until the summer of 2000, no lightning flash known
to produce a sprite or elve had ever been well
characterized. To simulate complex TLEs, modelers
require information on the total charge removed and
its waveform, the continuing current characteristics,
the rate and altitude fromwhich charge was removed,
and the geometry of the vertical and, especially,
horizontal lightning channels. Between 22 May and
16 July 2000, a major field observation effort called
the Severe Thunderstorm Electrification and Precipi-
tation Study (STEPS) was undertaken. The STEPS
domain, located 100–400 km east-south-east of Yucca
Ridge, was ideally situated for acquiring a wide array
of optical measurements of TLEs above the storm
concurrently with the lightning discharges below.
With the inclusion of the 3D lightning mapping array
(LMA) from New Mexico Tech, analyses of STEPS
data will facilitate determination of the unique light-
ning discharges that give rise to TLEs. STEPS may
confirm whether massive ‘spider’ discharges are a
necessary condition for sprites.

Scheduled programs during the early 2000s include
a joint US–Israeli sprite-observing mission on the

Space Shuttle. Plans are also under way for Taiwan to
launch a sprite-monitoring satellite.

Why Study TLEs?

Apart from their intrinsic scientific interest, there may
be some rather practical reasons to explore TLEs in
more depth. It has been suggested that there may be
significant production of nitrogen oxides (NOx) in the
middle atmosphere by sprites. This becomes even
more interesting in the light of recent observations that
regional smoke palls from biomass burning radically
enhance the percentage of 1CGs within storms, and
thus increase sprite counts (and middle atmosphere
NOx production?). Currently, no global chemical
model accounts for any potential effects of TLEs.

Once a better estimate ofNOx production per sprite
is obtained, it will be necessary to know the global
frequency and distribution of sprites. It has been
demonstrated that several Schumann resonance mon-
itoring sites working in tandem are capable of obtain-
ing a worldwide TLE census.

There is growing interest in determining the sources
of unusual infrasound emissions detected above sprite-
capable MCSs as determined by NOAA’s Environ-
mental Technology Laboratory near Boulder, Colora-
do. TLEs thus produce optical, radiofrequency, and
acoustic emissions that have the potential of mimick-
ing or masking signatures from clandestine nuclear
tests. Such findings may have important implications
for global monitoring efforts supporting the Compre-
hensive Test Ban Treaty.

TLEs may contribute in ways not yet understood to
the maintenance of the global electrical circuit. To
quantify the impacts of TLEs, we require information
on the global frequency (now roughly estimated
between 1 and 10 per minute) and their geographic
distribution. Recent findings may clarify some of the
broader issues concerning any potential TLE hazards
to aerospace safety above 15 km.

See also

Electricity, Atmospheric: Global Electrical Circuit; Ions
in the Atmosphere. Lightning: Overview; Production of
Nitric Oxide.
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Introduction

The climate of theEarth system is constantly changing,
and scientists are interested in understanding how and
why the climate of the Earth system has changed in the
past, what has shaped the climate of the current Earth
system, and how the climate of the Earth systemmight
change in the future. While it is possible to collect
information from geological records about the cli-
mates of the past, and to monitor the Earth system
today to determine what the climate is now, these data
do not allow us to understand how the characteristics
and processes in the Earth system produced the
climates of the past and the present. In addition, we
can only speculate about the climates of the future.

In order to develop a better understanding of how
the Earth system has worked in the past and how it
might evolve into the future, a hierarchy of computer
models has been developed as tools to study the Earth
system. A computer model of the Earth system is a
mathematical formulation of how that system works
implemented in a computer program. Into each model
is incorporated all current knowledge of how parts of
the Earth system interact, after which, using data that
describe the present climate or a climate of the past as a
starting point, the model is employed to simulate the
climate of the Earth under a wide range of conditions
and assumptions.

If all of the current understanding of the climate
system on all spatial and time scales were included in a
computermodel it would be too complex and costly to
run. As a result even the most complicated models are
relatively simple representations of the real Earth
system. There are basically three ways that models
simplify the Earth system. First, all models at some
level use empirical relationships to represent complex
physical processes. Second, models use and compute

values of different physical quantities on a grid. The
physical spacing of that grid defines the resolution of
the model. Models average the physical quantities
over the area of a grid box, which in the simplest
models could be over an entire spatial dimension.
Third, models represent processes that occur on scales
smaller than the grid spacing of the model with
formulas that are based on processes that occur on the
larger scales. This type of formulation is called a
parameterization. With all of these simplifications
models cannot exactly simulate the climate system.

The earliest models were also the simplest ones,
both in the number of processes included and in the
spatial resolution of the model, since computer
resources available to run them were limited. As
computing power increased, models were able to
include more of the processes that occur in the Earth
system and to increase the spatial resolution to finer
grids.

The simplest models average over all horizontal and
vertical scales to obtain a single value for the
temperature of the Earth system. Only the most basic
physics acting on the largest scales is incorporated into
these models, and the models can be used only in the
broadest sense to understand how this physics shapes
climate. The results cannot be assigned to any
particular place on the Earth but only to the system
as a whole.

As models become more complex their resolution
increases, so that variations in latitude, in longitude,
and in the vertical can be examined. With the increase
in resolution comes an increase in the number of
characteristics and physical processes included in the
model. While this increase in complexity increases the
model’s ability to simulate the climate system and its
change over time, there are still many characteristics
and processes acting on scales smaller than the
resolution of the model that are either completely
omitted or are parameterized in simple ways. As a
result thesemodels have a limited ability to simulate or
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predict climate. However, their simplicity allows
scientists to examine how the components and
processes of the Earth system that are included
interact, and to study how changes in those compo-
nents and processes might change the climate.

The most complex models are the general circula-
tion models. These models, developed originally for
the atmosphere and now including the atmosphere,
ocean, biosphere, and cryosphere, have the highest
spatial resolution and demand large amounts of
computer resources, though the resolution is still too
coarse, for example, to resolve individual clouds. As a
resultmany of the smaller-scale processes important to
shaping the climate of the Earth system are para-
meterized only simply in these models.

The Surface Energy Balance

The Earth system operates close to an energy balance.
Thismeans that an equal amount of energy comes into
the Earth system and goes out of it, and as a result the
temperature of the entire system over a long period of
time is relatively constant. However, within the Earth
system there are variations over time and over space.
Someof these are the result of regular cycles such as the
seasonal cycle, the El Niño Southern Oscillation
(ENSO), and glacial/interglacial variations, or regular
changes in location such as the steady decrease in
temperature from the Equator to the poles. Some are
the result of random variations called natural varia-
bility, which produce, for example, the day-to-day
variations we see in our weather, variations in the
strength of yearly monsoons, variations in the number
and the location of landfall of hurricanes, and the
somewhat irregular intervals of ENSO. Some of the
variations in time and space are the result of changes in
surface conditions such as whether the surface is land
or water, or covered by snow and ice covered. These
changes in surface conditions produce changes in the
surface energy balance. The changes in these surface
conditions affect the amount of energy retained by the
Earth system and how it is distributed within that
system.

Researchers who have sought to simulate the
climate of the Earth system and to understand how
andwhy it changes over time have usedmodels, which
in all but the simplest globally averaged cases have
taken into account the surface energy balance. While
more recent work has included the complexity of the
biosphere in the surface energy balance, the surface
energy balance is most simply described by the
following equation:

ð1� PeÞ�ð1� aÞ�Fsw þ Fir þ Flw þ Fl

þ Fs þ Fcond ¼ 0 ½1�

Here Pe is the fraction of the solar radiation that is not
reflected that penetrates the surface, a the surface
albedo (the fraction of radiation reflected), Fsw the
short-wave radiation available at the surface, Fir the
long-wave radiation from the surface to the atmo-
sphere, Flw the long-wave radiation from the atmo-
sphere to the surface, Fl the latent heat flux, Fs the
sensible heat flux, and Fcond the conductive flux from
below the surface

If the sum of the energy fluxes in eqn [1] does not
equal zero, the imbalance of energy results in a change
in temperature defined by

ðrcÞ qT=qt ½2�

where T is the temperature of the surface, t time, r
density, and c the specific heat.

Fsw is the incoming short-wave radiation available
at the surface. This radiation is also referred to as solar
radiation as most short-wave radiation in the Earth
system originates from the Sun. Most solar radiation
entering the top of the Earth’s atmosphere is trans-
mitted through the atmosphere to the surface or to the
top of clouds. At that point it is either reflected back
through the atmosphere to space, absorbed at the
surface or in the cloud where it heats the surface or
cloud, or penetrates through the surface or edge of the
cloud to be absorbed below.

The albedo, a, determines how much of the short-
wave radiation that reaches the surface gets reflected
back to space. a is expressed as a fraction ranging from
0 (no radiation reflected) to 1 (all reflected). So in eqn
[1] ð1� aÞ is the fraction of the short-wave radiation,
not reflected, and ð1� aÞ � Fsw the amount of the
available short-wave radiation that is not reflected.

Pe determines how much of the short-wave radia-
tion not reflected back to space is transmitted through
the surface. Pe is also expressed as a fraction ranging
from0 (no available short-wave radiationnot reflected
penetrates the surface) to 1 (all available short-wave
radiation not reflected penetrates the surface). So in
eqn [1] ð1� PeÞ is the fraction of the available short-
wave radiation that does not penetrate the surface and
ð1� PeÞ�ð1� aÞ�Fsw is the amount of the short-wave
radiation not reflected that does not penetrate the
surface, or, in other words, the amount of short-wave
radiation absorbed at the surface. This energy flux is
always directed toward the surface, representing a
gain by the surface, and is never negative.

Every object radiates energy at a wavelength
proportional to the fourth power of its temperature
in kelvin (K). The temperatures of the Earth’s atmo-
sphere and surface are in a rangewhere thewavelength
of the radiation they emit is in the infrared part of the
electromagnetic spectrum. Since the wavelength of
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this radiation is longer than that coming from the Sun,
it is commonly called long-wave radiation.

Fir is the long-wave radiation coming from the
surface to the atmosphere. It can be represented in the
surface energy balance equation as

Fir ¼ esT4
s

where e is the emissivitywhich ranges from0 to1,s the
Stefan–Boltzman constant, and Ts the surface tem-
perature.

Flw is the long-wave radiation coming from the
atmosphere to the surface. The representation of Flw in
the surface energy balance equation is mainly deter-
mined by the temperature of the air near the surface,
though it is also affected by the atmospheric humidity
and cloudiness.

Since Fir and Flw are both long-wave radiative
fluxes, one of which is directed away from the surface
ðFlwÞ and one toward the surface ðFlwÞ, they partially
cancel. In regions or at times when the surface is
warmer than the atmosphere, such as over land during
the day, when the surface is heated by incoming solar
radiation, and over ocean in the high polar latitudes,
where the water surface is usually warmer than the air,
the net long-wave radiative flux is directed from the
surface to the atmosphere. However, when the atmo-
sphere is warmer than the surface, as over sea ice
during the Arctic winter and over land surfaces at
night during the winter, the net long-wave radiative
flux is directed from the atmosphere to the surface.
Thus the net long-wave radiative flux can be directed
to the surface or to the atmosphere, depending on
conditions.

The latent heat flux, Fl, is the exchange of energy
between the surface and the atmosphere that occurs
when water is evaporated from or condenses onto the
surface. When water is evaporated, the energy
absorbed by it causes it to change state from a liquid
to a gas (water vapor) rather than to change the
temperature. The gas then mixes with the rest of the
atmosphere, carrying the latent heat with it.When the
gas changes back into a liquid (condensation), such as
when clouds form, that heat is released into the
environment where the water condenses. As a result
the energy has beenmoved from the surface, where the
water was evaporated, to higher in the atmosphere,
where the water condenses. The strength of this latent
heat flux is dependent mostly on the relative amounts
of water at the surface and in the air just above the
surface. In general, the water, and thus the latent heat,
moves from where there is more water to where there
is less. In most circumstances the surface contains
more water than the atmosphere, so the latent heat
flux is generally from the surface to the atmosphere,

representing a loss to the surface and a gain by the
atmosphere.

In early energy balance models the latent heat flux
was computed using a bulk aerodynamic formula of
the form

F1 ¼ cdlvLðas � aaÞ
where cdl is the drag coefficient for latent heat flux
(typical value 1.32� 10–3), v the wind speed, L the
latent heat of vaporization, and as and aa the absolute
humidities of the surface and the air at the surface
respectively. Recent models also account for the
impact of vegetation on the latent heat flux.

The sensible heat flux, Fs, is the exchange of energy
between the surface and the atmosphere that results
from the temperature difference between the surface
and the atmosphere. The bigger the difference in the
temperature between the surface and the atmosphere
the larger is the flux of energy. If the surface is warmer
than the atmosphere then the flux is from the surface to
the atmosphere. If the atmosphere is warmer than the
surface then the flux is from the atmosphere to the
surface. Thus this flux can provide either a gain or a
loss by the surface.

In early energy balancemodels the sensible heat flux
was computed using a bulk aerodynamic formula of
the form

Fs ¼ cdsvrCpðTs � TaÞ
where cds is the drag coefficient for sensible heat
flux (typical value 1.41� 10� 3), v the wind speed,
r the surface air density, Cp the specific heat of dry
air, and Ts and Ta the surface and surface air
temperatures.

The latent heat flux and the sensible heat flux are
turbulent energy fluxes. This is because these
exchanges of energy between the surface and the
atmosphere are affected by the magnitude of the wind
speed. As the wind speed increases the energy flux also
increases.

Fcond is the conductive flux frombeneath the surface.
This flux varies, depending on the material the surface
is made of and the environmental conditions. If
temperature decreases with depth, as it generally
does on land near the surface, the conductive flux is
directed from the surface to beneath the surface,
representing an energy loss by the surface. However, if
the temperature increases with depth, as in the case of
sea ice, which is floating on warmer ocean water, the
conductive flux is directed toward the surface,
representing an energy gain by the surface.

When the amount of energy coming to the surface
equals the amount of energy leaving it, the surface is
said to be in energy balance and the temperature
remains constant. However, if more energy is coming
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into (leaving) the surface than is leaving (coming into)
it then there is a positive (negative) energy imbalance
and the temperature increases (decreases) in order to
restore the balance.

In order to study the state of the Earth system and
how it varies over time, computer models of the Earth
system, which includes the surface energy balance
equation discussed above, are used to identifywhich of
the energy fluxes are important in establishing the state
of the Earth’s environment and how the Earth system
responds to changes in the various energy fluxes.

An Energy Balance Model

Figure 1 is a schematic diagram of an energy balance
model that incorporates a full surface energy balance.
The diagram shows one latitude zone between
latitudes f and fþ Df, and indicates that the model
treats four distinct regions of the Earth system,
including air over land, land, air over ocean, and
ocean.An energy balance is computed for each of these
regions. If there is an energy surplus (deficit) in a region
then the temperature is computed to rise (fall) to
restore energy balance.

In an energy balance model the main parameter to
be computed is the temperature. In eqns [1] and [2] the
temperature under discussion is the temperature of the
surface. In the energy balance model shown schema-
tically in Figure 1 the focus is the temperature of each
of the regions. The temperature of each region is
determined by summing the energy crossing each of

the boundaries of the region. So the net increase or
decrease of energy in the region of the air over land (for
example) is determined by the following:

Energy exchange

between the land

and air

A

þ

Energy exchange

between the air

space

B

þ

Energy exchange

between this zone

and zone to south

C

þ

Energy exchange

between this zone

and zone to north

D

þ

Energy exchange

between this zone

and air over ocean

E

¼

Net change in

energy content

of zone

F ½3�
where the term is positive if the flux is into the zone and
negative if the flux is out of the zone.

In a more complex model, which has more resolu-
tion in the east–west direction, rather than the simple
land–sea resolutiondepicted inFigure 1, eqn [3]would
have to include two terms for the exchange of energy
within a latitude zone, one for the exchange to the east
and one for the exchange to the west. In this model,
with only two latitudinal zones resolved, we need
consider only the exchange of energy between them.

Term A in eqn [3] is the surface energy balance
explicitly stated in eqn [1]. If an energy balance
occurs at the surface then term A is 0, as shown in

Meridional
heat

transport

Atmospheric

Oceanic

Oce
an

Latitu
de �

Land-se
a

heat tr
ansp

ort

(Over o
cean)

Fsw

Fcond

Fi Fs Fir Fw

IR

�+∆�

(O
ver la

nd)

LandAtm
osphere

Figure 1 Schematic diagram of one latitude zone of a simple energy balance model that employs a full surface energy balance.

(Adaptedwith permission fromLedleyTS (1988)A coupledenergy balance climate–sea icemodel: impact of sea ice and leads on climate.

Journal of Geophysical Research 93: 15919–15932.r1988 by the American Geophysical Union.)
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eqn [1]. If there is no surface energy balance then
term A is non-zero and it contributes to the net
change in energy of the region. In recent modeling
work, term A has been developed to include the
influence of vegetation on the surface energy balance.
Vegetation, with its leaves and root systems, intro-
duces a much more complex picture of the surface
energy balance,whichwhen included inmodels results
in a better simulation of the climate of the Earth
system.

Term B in eqn [3] is the net change in energy at the
top of the atmosphere. Since the atmosphere is
relatively transparent to solar radiation, most solar
radiation reaches the surface and is represented as the
first term in eqn [1]. The only other significant transfer
of energy between the atmosphere and space is of
infrared radiation (long-wave radiation). Since
the atmosphere is warmer than space, the flux of
infrared radiation is from the atmosphere to space,
representing a loss by the atmosphere (see the IR term
in Figure 1).

Terms C and D in eqn [3] represent the meridional
heat transport between the zone under consideration
and those to the north and south. Since any flux across
the pole represents a flux out of the zone under
consideration and then back into it, this flux is
generally set to zero. In the simplest models this
meridional heat transport is computed on the basis
of the temperature gradient between the zone
under consideration and those to the north and
south, and the assumed diffusion coefficients. In
some cases there may be more than one adjacent
zone to the north or south, i.e., air over land in one
zonemay be adjacent to both air over land and air over
water to the north or south, depending on the amount
of land and ocean in each zone. In that case the fluxes
from both of these zones must be included in terms C
and D.

TermE in eqn [3] represents the zonal heat transport
between the air over land in the zone under considera-
tion and the air over ocean in the same zone.
This can be computed from the temperature gradient
between the air over land and sea and a diffusion
coefficient.

Term F in eqn [3] represents the net change in energy
in the zone. It can be represented in general by eqn [2];
however, the temperature now is the temperature of
the air over land and the density and heat capacity are
those for the air over land.

The temperature of the air over land is computed as
follows:

Net change in the energy in the zone ¼ DE

¼ ðrcÞqT=qt ½4�

By choosing a particular time step, Dt, over which to
apply eqn [4] one can solve for the new temperature:

Tðt þ 1Þ ¼ TðtÞ þ DEnDt
rc

½5�

The temperature computed here is the temperature
representative of the whole layer of air. In order to
determine the surface air temperature, which is
generally desirable in order to compute the surface
energy fluxes, another equation must be applied that
relates the temperature computed in eqn [5] to the
surface air temperature.

In using eqn [5] to compute the new temperature
onemust be careful that the energy balance equation is
valid over the chosen time step size. If the equation is
not valid over the chosen time step size then the
numerical result of the calculation may not be
physically realistic.

The other three regions have similar energy balance
equations applied to them. The equation for the
temperature of the air over ocean is different only in
the values of the variables, constants, and coefficients,
which are changed so that they represent the character
of the ocean surface rather than the land surface.

The energy balance applied to the land includes
terms A, B, and F in eqn [3]. Term A represents the
energy exchange between the land and the air over
land. Term B is altered to represent the exchange of
energy between the land surface layer and deeper
layers within the Earth (not shown in Figure 1). This
energy flux is called the geothermal flux. Term F
represents the effect of any imbalance in energy on the
temperature of the land. In general the resolution of
energy balance models is too coarse for the horizontal
exchanges of energy between land in the zone and
adjacent land or water to have a significant impact on
the temperature of the land in the zone.

The energy balance applied to the ocean includes all
the terms applied to the land with the addition of the
meridional heat transport between adjacent ocean
regions. The currents in the ocean carry a significant
amount of energy both meridionally and zonally, and
thus, while the ocean currents are not included
explicitly in the model, their impact on the energy
balance must be included.

Energy Balance Models as Tools

Energy balance models have been valuable tools in
the study of the climate of the Earth system; however,
they are dramatic simplifications of the Earth atmo-
sphere system that either exclude or else represent in
only a simple form the real physics and biogeochem-
ical processes that occur. One example of this
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simplification is that the dynamics of the atmosphere,
i.e., the processes that produce the high- and low-
pressure systems in midlatitudes, monsoons, hurri-
canes, and tornadoes that are key in producing the
exchanges of energy between different latitudinal
zones and between regions over land and water, are
representedonlywith respect to how they effect energy
distribution. They are not included in a realistic way.
Thus any results from energy balance models must be
viewed with these simplifications in mind.

However, energy balance models have several
advantages. The most important of these are (1) they
are quick, allowing multiple experiments, and (2) it is
relatively easy to analyze model results so that the
causes of a change in the simulated system can be
traced from the imposed perturbation to the resulting
change. These advantages allow the study of parti-
cular processes in the Earth system and of how the
Earth system responds to various changes. The results
of these studies can then be used to guide the
development of experiments in more complex models
which are more costly to run and more complex to
analyze, but do include the dynamics of the atmo-
sphere and ocean, a much higher spatial resolution,
andmanyother physical processes of theEarth system.

An example of how energy balance models can be
used to investigate the relative importance of processes
that contribute to climate change is an investigation
using a version of the energy balance model described
earlier that was conducted to examine how small
variations in the minimum amount of open water in
the sea-ice-covered polar oceans during the winter
affect the maximum amount of open water during
the summer and the seasonal cycle of surface air
temperatures.

The first step in this study is to compare the climate
simulated with the energy balance model to observa-
tions of the current climate to assure that the model is
able to produce a reasonable simulation of the present
climate. This includes comparisons of the mean
annual seasonal cycle of simulated and observed
surface air and surface temperatures, sea ice thickness,
area of open ocean, and energy fluxes. The energy
balance model used for this comparison specifies a
minimum lead fraction (theminimum fraction of open
water in sea ice, a lead being a crack in the sea ice that
exposes oceanwater to the atmosphere) of 1.1%. This
means that for the winter over the polar oceans, when
the heat loss would produce ice growth in any area of
open water, the model determines the amount of ice
that would grow and then mechanically open 1.1% of
the ocean area to be ice-free, as would occur as the
result of wind stresses and ocean currents in the real
word. The climate simulated by this version of the
energy balance model is called the control case.

In the study the effect of changing this minimum
area of open ocean in the winter is investigated.
Table 1 shows the mean annual sea ice thickness and
the maximum percent of open water or period of
ice-free conditions during the summer for various
specifications of the minimum lead fraction. Figure 2
shows the seasonal cycle of surface air temperature
zonally averaged over ocean, sea ice, and land as a
functionof latitude for the control case (minimum lead
fraction during the winter of 1.1%) and the changes in
the seasonal cycle of surface air temperature when the
minimum lead fraction is reduced to 0%, increased to
2.2%, increased to 4.3%, and increased to 100%
(meaning no sea ice is allowed to form).

Table 1 shows that when theminimum lead fraction
is increased from the 1.1% control case, increasing the
amount of open water during the winter, the mean
annual thickness of the sea ice and the maximum area
of open water or period of ice free conditions during
the summer both increase. The increase in sea ice
thickness occurs because the increase in the area of
open ocean during the winter causes an increase in the
amount of heat lost by the ocean and thus increases the
production of sea ice. When leads in the sea ice are
completely eliminated (minimum lead fraction5 0%)
the sea ice thickness at 751 S decreases owing to the
decrease in the ice growth rate. However, at 751N the
mean annual sea ice thickness is increased because of a
decrease in the melting of sea ice during the summer.

Table 1 Mean annual sea ice thickness and maximum percen-

tage of open water or period of ice-free conditions at 751N and

751S for various cases of specified minimum lead fraction

751N 751S

Minimum lead

fraction50%

Ice thickness (m) 1.42m 2.02m

Maximum% open water or period of ice-free

conditions

0% 0%

Minimum lead

fraction51.1%

Ice thickness (m) 1.30m 2.10m

Maximum% open water or period of ice-free

conditions

8 weeks 1.7%

Minimum lead

fraction52.2%

Ice thickness (m) 1.31m 2.29m

Maximum% open water or period of ice-free

conditions

9 weeks 3.4%

Minimum lead

fraction54.3%

Ice thickness (m) 1.36m 2.94m

Maximum% open water or period of ice-free

conditions

10 weeks 6.3%

Adapted with permission from Ledley TS (1988) A coupled energy

balance climate – sea ice model: impact of sea ice and leads on

climate. Journal of Geophysical Research 93: 15919–15932. r

1988 American Geophysical Union.
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The study goes on to examine the impact of those
changes in sea ice thickness and the relative amounts of
open water on surface air temperatures through the
year. Figure 2 shows that the impact on the surface air
temperatures is rather small during the summer;
however, during the winter, when there is a large
difference between the surface temperature of ocean
water and of sea ice, the impact of small changes in the
area of open ocean on surface air temperature is large.
When areas of open ocean are eliminated, during the
winter, the atmosphere is cut off from a heat source,
namely the relatively warm ocean, and surface air
temperatures drop by between 0.4K and 1.2K during
the winter. When areas of open ocean are increased
during the winter, the atmosphere is in contact with an
expanded heat source, and surface air temperatures
increase by up to 2.0Kwhen sea ice is allowed to form,
and much more when it is not.

The use of energy balance models in this kind of
study permit further investigation to identify which
energy fluxes contribute to the simulated changes in
surface air temperature and under what conditions
each energy flux is the most important.

See also

Air–Sea Interaction: Momentum, Heat and Vapor
Fluxes; Sea Surface Temperature. Boundary Layers:
Modeling and Parameterization. Coupled Ocean–Atmo-
sphere Models. General Circulation: Models. Land–
Atmosphere Interactions: Overview. Mesoscale
Meteorology: Models. Radiation (Solar). Reflectance
and Albedo, Surface. Teleconnections.
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Introduction

Abundant free oxygen in the atmosphere distinguishes
our planet from all others in the solar system. Earth’s
oxygen-rich atmosphere is a direct result of life. The
current atmosphere contains (by volume) 78.09%N2,
20.95% O2, 0.93% Ar, 0.036% CO2, and additional
trace gases. Apart from argon, all of the quantitatively

important gases are at least in part biologically
controlled, but oxygen in particular has no significant
abiotic source. Diatomic oxygen is generated by
oxygenic photosynthesis, the biological process in
which water molecules are split using the energy
of sunlight. Today, green plants, single-celled
phytoplankton (free-floating organisms in the ocean),
including cyanobacteria (chlorophyll-containing bac-
teria) all perform oxygenic photosynthesis. Of these,
cyanobacteria are the most numerous, withB1027 in
the oceans, and probably their ancient ancestors were
just as plentiful. However, geological differences
between the ancient and modern Earth show that
there was insufficient O2 in the early atmosphere to
leave traces of oxidation that today are ubiquitous,
such as the reddening of exposed iron-rich rocks. The
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transition from the ancient anoxic atmosphere to a
more modern oxic atmosphere appears to have
occurred at about 2.3 Ga (where Ga 5 109 years
ago). Although this ‘rise of O2’ has been seen by some
as controversial, there ismore than enough evidence in
its favor for it to have come to be regarded as the
standard history of the Earth’s atmosphere. This
history has been a major influence on life. All animals,
multicellular plants, and fungi rely on free oxygen to
maintain their energy intensive lifestyles. Life on the
planet’s surface also became protected from harmful
ultraviolet radiation once O2 levels exceeded 0.2–
0.6%, causing an ozone (O3) layer to form in the
stratosphere. But why free oxygen should have
becomeabundant on aplanet that is overall chemically
reducing, or exactly why it first appeared about half-
way through Earth’s 4.5 billionyear history, are still
open questions. Nor is there yet any firm understand-
ing of what regulates O2 at today’s level. However, the
modern oxygen cycle can at least elucidate some basic
concepts of oxygen production and loss beforewe turn
to the history of O2.

The Modern O2 Cycle

Oxygenic photosynthesis can be summarized by the
following schematic equation [I], where ‘CH2O’
represents the average stoichiometry of organic
matter.

CO2 þH2OÐCH2OþO2 ½I�

Respiration and decay rapidly consume virtually all
(99.9%) of the oxygen produced by photosynthesis,
and regenerate CO2 from organic carbon and O2. But
photosynthesis does not completely reverse, because a
small fraction (0.1%) of organic carbon escapes
oxidation through burial in sediments (see Table 1).
From eqn [I], the burial of one mole of organic carbon
will generate one mole of O2. However, the oxygen
cycle is complicated by the burial and weathering
fluxes of two other important redox elements, sulfur
and iron. Pyrite (FeS2) contains both elements in
reduced form. During weathering, reduced minerals
exposed on the continents react with oxygen dissolved
in rainwater. Pyrite oxidizes to form soluble sulfate
ðSO2�

4 Þ and the chemically bound oxygen is then
carried to the oceans in rivers. Bacteria in the ocean use
sulfate and ferric iron (Fe31) to regenerate pyrite, and
when pyrite is buried in sediments, oxygen is freed
again (eqn [II]).

2FeðOHÞ3 þ 4H2SO4 !
2FeS2 þ 15O2 þ 7H2O ½II�

An analysis of the average composition of modern
sediments by Heinrich Holland shows that organic
carbon and pyrite burial contribute the equivalent
to oxygen fluxes of (10.073.3)� 1012 mol O2 y� 1

and (7.874.0)� 1012 mol O2 y� 1, respectively.
The reduction of oxidized iron and the burial of
ferrous iron (2Fe2O35 4FeO1O2) also adds a
minor flux of oxygen, (0.970.4)� 1012 mol O2 y

�1.
The burial of sulfate minerals in sediments removes
(0.370.1)� 1012 mol O2 y

�1 through the oxidation
of SO2 in the atmosphere. Summing these fluxes, the
total O2 production is (18.477.8)� 1012 mol O2 y

� 1

(Table 1).
On long time scales, oxidation must balance

O2 production to leave a steady amount of O2 in
the atmosphere. About 80–90% of O2 production
is consumed during oxidative weathering, while
10–20% reacts with reduced gases in the atmosphere.
Both volcanism (associatedwith themolten rocks) and
metamorphism (associated with hot rocks that do not
melt) release reduced gases into the atmosphere. Such
gases include H2, CO, SO2, andH2S, which react with
O2, albeit through photochemical intermediates. Con-
sequently, the release of reductants from the solid
Earth, either by continental uplift and weathering or
by geothermal degassing, controls oxygen consump-
tion. Atmospheric O2 is not controlled, as is some-
times believed, by respiration and decay. Measured in
moles, the amount of organic carbon in the biosphere
is B102 times smaller than the atmospheric reservoir
of O2 and therefore respiration and decay can
modulate no more than 1% of total amount of
atmospheric O2.

Table 1 Modern oxygen fluxes in the Earth system

Oxygen fluxes Magnitude

(1012 mol O2 y
� 1)

Effect

Organic carbon burial fluxa 1073 Production

Pyrite (FeS2) burial flux
a 7.873.6 Production

Sulfate burial fluxa � (0.370.1) Loss

Reduced iron burial fluxa 0.970.4 Production

Continental oxidative

weathering fluxa
� (15.576.7) Loss

Flux of reduced volcanic and

metamorphic gasesa
� (371) Loss

Net O2 photosynthetic flux to

the atmosphere (assuming

that burial fluxes and

oxidative losses are

balanced by negative

feedbacks)

B0 Net change

Effective oxygen gain from

hydrogen escape to space

0.02 Absolute gain

for whole

Earth

aDerived from data in Holland (1978).
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Over the last 350 million years, a continuous
record of charcoal in continental sedimentary
rocks suggests that O2 has always comprised at
leastB15% of the atmosphere, because wood cannot
burn below this threshold. Yet the residence time
of O2 in the atmosphere–ocean system is far shorter.
Dividing the atmosphere–ocean oxygen reservoir
(3.78� 1019 mol O2) (Table 2) by the source flux
(1.8� 1013 mol O2 y�1) gives B2.1 million years
for the average amount of time an O2 molecule
spends in the atmosphere–ocean system. Evidently, O2

levels must be controlled by long-term negative
feedbacks.

In broad outline, oxygen is regulated because an
increase in oxygen increases the consumption of
oxygen and/or decreases the rate of oxygen produc-
tion. A decrease in oxygen has opposite effects.

Because the oxidation of exposed continental surfaces
appears to be saturated, many researchers have
favored a negative feedback on the O2 source as a
primary control on the modern level of O2. This
control is not thought to act directly, by oxidizing
newly produced organic carbon and preventing its
burial, but indirectly through phosphorus. Most
organic carbon is buried in the ocean on continental
shelves. Phosphorus acts as a limiting nutrient for
marine photosynthesis because the only source of
phosphorus is from continental weathering and river
runoff. In the ocean, the burial of phosphorus bound
to iron hydroxides becomes less efficient under anoxic
conditions. Thus a decrease of oxygen increases the
amount of phosphorus available for the production
and burial of new organic matter. However, this
mechanism is not particularly effective against rising
levels of oxygen. Instead, some workers have hypoth-
esized that above 21% oxygen the frequency of forest
fires will increase, triggering ecological shifts from
forest to grassland. Vascular plants like trees amplify
the rate of rock weathering by about an order of
magnitude relative to simpler plant life. Rising oxygen
will thus throttle the supply of phosphorus to the
ocean, ultimately lowering the rate of organic carbon
burial, the oxygen source. However, while such
controls on modern oxygen concentrations are borne
out by simple biogeochemical models, they are still
hypothetical.

Oxygen in the Prebiotic Atmosphere

In all likelihood, the atmosphere started out with an
oxygen partial pressure pO2r10�13 bar (10� 8 Pa)
before life existed because reduced gases overwhelmed
the abiotic source of O2. In the absence of photosyn-
thesis, free O2 arises only from the photolysis of water
and the subsequent escape of hydrogen to space. By
itself, photolysis of H2O does not provide a net source
of oxygen because the photolysis products recombine.
AlthoughEarth’s atmosphere has changed over time, a
‘cold-trap’ for water generally exists at the (tropical)
tropopause. Because water is cold-trapped to only a
few parts per million, the rate of production of oxygen
from the photolysis of water and escape of hydrogen is
very small. The O2 so produced can react with
hydrogen through a series of photochemical reactions
that add up to a net reaction eqn [III].

O2 þ 2H2 ! 2H2O ½III�

With volcanic outgassing rates similar to those of
today, H2 fluxes would beB102 times larger than the
abiotic O2 flux in the primitive atmosphere. If
anything, outgassing rates were greater on early Earth

Table 2 Reduced and oxidized reservoirs in Earth’s continental

crust. TheEarth’s exterior contains Fe2O3 andSO4
2� that arose via

oxidation, and free atmospheric O2. Oxidized species are ex-

pressed in terms of the moles of O2 required for their production;

e.g., each mole of Fe31 needed 1
4 mole O2 to be produced from

Fe21 via FeOþ 1
4O2 ¼ 1

2 Fe2O3. Reduced species are expressed

in termsofO2moles required for their consumption; e.g., eachmole

of reduced carbon can be consumed by one mole of O2

Species and

reservoir

Magnitude

(1021 mol O2

equivalent)

Size (R)

comparisonsa

Oxidized species

O2 in the atmosphere

and ocean

0.0378 0:07RAOS

Fe2O3, SO4
2� , and O2 in

the atmosphere–

ocean–sedimentary

(AOS) system

0.55 RAOS

Total Fe31 in the

continental crustb
1.7–2.6 ð3:1� 4:7ÞRAOS

Total oxygen locked up

in the continental

crust

2.0–2.9 ð1:5� 2:2ÞRredC

Reduced species

Reduced carbon in the

AOS system

0.56

Reduced carbon in felsic

instrusives,

gneisses, schists and

felsic granulites

o0.78

Total reduced carbon in

the continental crust,

RredC

o1.3 RredC

aAOS, atmosphere–ocean–sedimentary system; redC, reduced

carbon in the continental crust.
bMost crustal oxidized iron, Fe31, resides not in sedimentary rocks

but in continental basalt. Fe31 derives from metamorphic or

hydrothermal oxidation processes within the crust.
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because of increased heat flow from a hotter, more
radioactive interior.

Geochemical Evidence for a Rise
of O2 about 2.3 Ga

Once life arose, it must have modulated the cycling of
all gases in the atmosphere–ocean system containing
chemical elements of biological importance. The most
dramatic atmospheric change evident in the rock
record is an increase in the level of O2 around 2.3 Ga
(Figure 1). This event occurred in the Paleoproterozoic
era (2.5–1.6 Ga), the first of three eras within the
Proterozoic eon (2.5–0.57 Ga), which follows the
Archean eon (before 2.5Ga).

Evidence from Continental Environments

Paleosols, detrital grains, and red beds, all from
continental environments, suggest very low levels of
O2 before about 2.3 Ga. Paleosols are ancient surfaces
that were exposed to the atmosphere during weather-
ing. Geochemical studies of paleosols indicate that
around 2.4–2.2 Ga, atmospheric pO2 rose from
o0.0008 atm to 40.002 atm, possibly to 40.03
atm. Paleosols before B2.4 Ga show that iron was
leached during weathering, but after B2.2 Ga, iron

was not leached. Ferrous iron (Fe21) is soluble,
whereas ferric iron (Fe31) is not. Consequently, iron
will be flushed through a soil if rainwater has little
dissolved O2 but will be immobilized otherwise.
Another sign of abundant oxygen in soils is that
cerium is fractionated from the other rare-earth
elements. Cerium is oxidized from Ce31 to Ce41 to
form cerianite (CeO2). The presence of Ce31-rich
minerals in paleosols from the Archean eon implies an
early anoxic atmosphere. Other evidence for ancient
anoxic air includes detrital grains from Archean
riverbeds, which commonly contain reduced minerals
that would only survive at low pO2. Detrital grains of
pyrite (FeS2), uraninite (UO2), and siderite (FeCO3)
place upper bounds on Archean pO2 of roughly 0.1
atm, 0.01 atm and 0.001 atm, respectively. In oxic
waters, uraninite dissolves to form soluble U61 ions,
pyrite oxidizes to sulfate (SO4

2� ) and ferric iron
(Fe31), and siderite oxidizes to produce ferric
iron (Fe31). Red beds provide further evidence for
atmospheric redox change. They derive from wind-
blown dust or river-transported grains coated with
red-colored hematite (Fe2O3). Before B2.3 Ga, red
beds are very rare, whereas afterwards red beds
are ubiquitous. Pre-2.3 Ga red beds result from
ground water contamination by the post-2.3 Ga
atmosphere.
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Figure 1 The history of atmospheric oxygen. The thick dashed line shows a possible evolutionary path for atmospheric oxygen that

satisfiesgeochemical andbiological constraints. Dottedhorizontal lines show thedurationof geochemical andbiological constraints, such

as the occurrence of detrital siderite (FeCO3) in ancient riverbeds. Downward-pointing arrows indicate upper bounds on the level of

oxygen, whereas upward-pointing arrows indicate lower bounds. Unlabeled solid horizontal lines indicate the occurrence of specific

paleosols, with the length of each line showing the uncertainty in the age of each paleosol. Bounds on pO2 from paleosols are taken from

Rye andHolland (1998). Biological lower limits on pO2 are based on estimates for the requirements of themarine sulfur-oxidizing bacteria

Beggiatoa, and also the requirements of macroscopic animals that appear around 0.59 Ma. An upper bound on the level of pO2 in the

prebiotic atmosphere at c. 4.4 Ga (shortly after the Earth had differentiated into a core, mantle, and crust) is based on photochemical

calculations. Similarly, a constraint of 10� 6 bar (o0.1Pa) before 2.4Ga is suggested bymass-independent sulfur isotope evidencewhen

constrained by photochemical models of isotopic exchange.
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Evidence from Iron Formations

An atmospheric O2 increase atB2.3. Ga is consistent
with the temporal distribution of banded iron forma-
tions (BIFs). BIFs are laminated marine sedimentary
rocks containing Z15 wt% iron, usually with alter-
nating iron-rich and silica-rich layers. The iron, in
large part, originated from hydrothermal sources in
the deep ocean, such as mid-ocean ridges. Today, iron
is oxidized immediately and deposited on the flanks
of the ridges. In the anoxic Archean oceans, ferrous
iron circulated to the continental shelves where it
was (microbially) oxidized and precipitated. In the
Paleo-proterozoic, BIFs decline in abundance and
disappear after B1.8 Ga. This has usually been
attributed to a rise in atmospheric oxygen ventilating
the deep ocean. However, it is also plausible that the
deep ocean remained anoxic until the late Proterozoic
and that sulfide was responsible for removing iron
from the deep ocean. Increased oxidative weathering
would have led to greater sulfate concentrations
in the ocean, promoting microbial sulfate reduc-
tion. Because sulfate reduction produces sulfide
(S2� ), the deep ocean could have been swept
free of iron by the precipitation of insoluble
pyrite, FeS2.

Evidence from Carbon and Sulfur Isotopes
in Marine Sediments

Marine carbon isotopes indicate drastic environmen-
tal change in the Paleoproterozoic, consistent with the
rise of O2. Of the two stable carbon isotopes, 12C and
13C, photosynthetic organisms kinetically concentrate
12C into organic matter, leaving inorganic carbonate
relatively enriched in 13C. Isotope compositions are
expressed as d13C, where d13C ¼ ½ð13C=12CÞsample=
ð13C=12CÞstandard � 1��1000, in parts per thousand
(%). From B3.5 Ga, with only a few relatively brief
variations, sedimentary organic carbon is found to be
about 30% (3%) lighter than marine carbonate
carbon that has d13C � 0%. This mainly reflects
biological fractionation. Carbon entering the atmos-
phere–ocean system from volcanism, metamorphism,
and weathering has d13Cin � �6%. On time scales
greater than the residence time of carbon in the ocean
(B105 years), the same number of atoms entering the
atmosphere–ocean system must exit the system, im-
plying the following balance shown in eqn [1].

d13Cin ¼ fcarbd
13Ccarb þ forgd

13Corg ½1�
Here fcarb is the fraction of carbon buried in carbonate
mineralswith isotopic composition d13Ccarb, and forg is
the fraction of carbon buried in organic carbon with
isotopic composition d13Corg. Solving eqn [1] with the
observed d13C values gives forg � 0:2. Thus, over

geological time, 20% of the carbon in CO2 entering
the ocean–atmosphere system has exited as buried
organic carbon, whereas the remaining 80% has
exited as carbonate.

The largest excursions in d13Ccarb in Earth’s history
occur between 2.4 and 2.1 Ga, with positive and
negative oscillations between 110% and � 5%.
Three low-latitude glacial, or ‘Snowball Earth’, epi-
sodes during 2.4–2.2 Ga together with sparse data
complicate the interpretation of d13Ccarb fluctuations.
Clearly, major perturbations in the carbon cycle and
climate system occurred. The rise of O2 would have
destroyed greenhouse gases like methane, inducing
global cooling and decimating any early land biota.
Oxygen would have been catastrophic to some anaer-
obic organisms, for which O2 is toxic. In combination
with inducing significant oxidative weathering, rising
oxygen would have dramatically affected the carbon
cycle.

Marine sulfur isotopes indicate an increase in
sulfate concentrations at B2.3 Ga consistent with a
rise of O2. Today, sulfate-reducing bacteria (SRB)
produce most of the sulfide in marine sediments. SRB
reduce 32SO2�

4 in preference to 32SO2�
4 so that the

sulfide produced is depleted in 34S. However, this
fractionation ceases in waters with sulfate concentra-
tion o1mmol l� 1. Archean sulfides display 34S/32S
ratios that cluster around the unfractionated mantle
value, implying Archean oceans with o1mmol l� 1

sulfate, compared to 28.9 mmol l� 1 in today’s surface
sea water. Lack of sulfate is consistent with low pO2,
which would induce little oxidative weathering of
sulfides, limiting the river supply of sulfate to the
oceans. By 2.3–2.2 Ga, sulfides with significant 34S
depletions formed ubiquitously in the ocean, reflecting
abundant sulfate and the rise of O2.

Measurements of a third less-abundant sulfur iso-
tope, 33S, in addition to 34S and 32S, show a major
change in the sulfur cycle between 2.4 and 2.1 Ga. In
modern rocks, 32S, 33S, and 34S obey ‘mass-dependent’
fractionation, in which the difference in abundance
between 33S and 32S is approximately half that
between 34S and 32S. Many aqueous chemical and
biochemical reactions, such as microbial sulfate
reduction, producemass-dependent isotope fractiona-
tion. In contrast, the full suite of stable sulfur isotopes
in pre-2.3 Ga rocks show ‘mass-independent’ frac-
tionation, which is thought to result exclusively from
photochemical reactions such as photolysis of SO2. In
this case, the relative abundance of different isotopes
deviates from what is expected of mass-dependent
fractionation. In a high-O2 atmosphere, sulfur gases
are rapidly oxidized and rain out as dissolved sulfate.
But in the absence ofO2, sulfur exits the atmosphere as
sulfide, elemental sulfur, or sulfate, which allows the
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mass-independent fractionation produced by anoxic
photochemistry to be transferred to sediments.

A Second Rise of O2 in the
Neoproterozoic Era?

Some researchers argue that there was a second rise of
pO2 in the Neoproterozoic era (1.0–0.57 Ga) from
about 1–3% to greater than 5–18% of present levels.
From B1.05 to 0.64 Ga, sulfides are increasingly
found with 34S-depletions exceeding the fractionation
threshold of sulfate-reducing bacteria. This can be
explained if sulfide was reoxidized at the sediment–
water interface to SO4

2� and reduced again by
bacteria, cyclically increasing the isotope fraction-
ation. Possibly, O2 increased to the point where it
penetrated marine sediments, making the deep ocean
aerobic for the first time. This could corroborate an
increase of oxygen thought necessary to explain the
appearance ofmacroscopic animals in the fossil record
around 590 Ma.

Phanerozoic Changes in pO2

In the Phanerozoic eon (0. 57 Ga to present), pO2 has
probably always been in the range 0.15–0.35 bar (1
barE 105 Pa). After the land was colonized by plants
around B420 Ma, large amounts of organic carbon
were buried on the continents in the Carboniferous
(362–290Ma). Lignin, a structural compound in trees,
was difficult to decompose until organisms like fungi
evolved means of doing so. Because organic carbon
burial is accompanied by a stoichiometric release of
O2 (eqn [I]), Carboniferous organic burial may have
led to peak pO2 B 0.3 bar at B300 Ma. This would
explain the presence of giant Carboniferous insects,
like dragonflies with 0.7m wingspan, which rely on
the diffusion of O2 for respiration.

Biogeochemical Change: Explaining
the History of Oxygen

There are several lines of evidence suggesting that
oxygenic photosynthesis pre-dates the rise of O2.
Biomarkers are organic molecules that are diagnostic
of the organisms from which they were derived. Only
cyanobacteria are known to synthesize 2-methyl
bacteriohopanepolyols (specific five-carbon-ring
compounds), which are transformed in sediments to
2-methyl hopanes. Similarly, only eukaryotes (single-
celled organisms with cell nuclei) synthesize certain
sterols (four-carbon-ring alcohols) in a process that
requires molecular oxygen. Steranes, derived from
sterols, and 2-methyl hopane biomarkers have both
been found in ancient sedimentary rocks fromwestern

Australia, providing unambiguous evidence of oxy-
genic photosynthesis at 2.7 Ga. Stromatolites, which
are laminated mineral structures produced by micro-
bial growth, provide further evidence. These are
present in 2.72 Ga paleolakes that had no hydrother-
mal sources of reductant, implying oxygenic photo-
synthesis as the only means of organic synthesis.
Isotopic fractionation of carbon between sedimentary
organic carbon and inorganic carbonates is about
30% back to 3.5 Ga and characteristic of photosyn-
thetic fractionation, which suggests an earlier origin
for oxygenic photosynthesis but is not, on its own,
conclusive.

Theories for the Paleoproterozoic Rise of O2

Once oxygenic photosynthesizers evolved, they very
likely dominated the biosphere. In their absence, all
other carbon-fixing organisms required reductants
supplied by geothermal processes, such as H2, to
reduce CO2 to organic carbon, restricting habitats to
places like hydrothermal vents. In contrast, the source
of hydrogen for oxygenic photosynthesis is ubiquitous
H2O. Why then, was there a delay of 0.3–1 billion
years between the earliest oxygenic photosynthesis
and the rise of O2?

One explanation is that as geothermal heat declined
owing to the decay of radioactive materials inside the
Earth, the flux of volcanic gases dwindled, lessening
the sink on O2. However, increased past volcanic
outgassing would have also injected proportionately
more CO2. Carbon isotopes from 3.5 Ga onward
show that roughly 20% of the CO2 flux into the
biosphere was fixed biologically and buried as organic
carbon, with the remainder buried as carbonate.
Increased outgassing in the past, on its own, cannot
explain the oxic transition because, as one goes back in
time, O2 production due to organic burial would have
risen in parallel with O2 losses. A second hypothesis
suggests that large positive carbonate isotope excur-
sions from 2.4 to 2.1Gawere due to amassive pulse of
organic burial that caused the rise of O2. However,
given the geologically short residence time of O2, a
pulse of organic burial would merely cause atmos-
pheric O2 to rise and decay, not to remain in the
atmosphere. A third explanation of the rise of O2

invokes a gradual shift of volcanic gases from reduced
to oxidized. This hypothesis is promising, because a
secular change would make the atmosphere more
conducive to higher O2 levels. However, data from
redox-sensitive elements in igneous rocks show that
the mantle’s oxidation state, which controls the redox
state of volcanic gases, only permits an increase in H2

relative to CO2 by a factor r1.8, which cannot
account for a sufficient change in the sink on O2.
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The rise ofO2 canbe consideredmore generally. The
rate of change of the number of moles of O2, RO2

, in
the atmospheric reservoir is given by eqn [2].

dðRO2
Þ

dt
¼ Fsource � Fsink

¼ Fsource�ðFvolcanicþFmetamorphicþFweatheringÞ
½2�

Fsink is the removal flux of O2 from the atmosphere (in
moles y� 1) due to numerous oxidation reactions and
Fsource is the source flux of oxygen (in moles y�1) due
to burial of organic carbon and pyrite. The sink fluxes
are the reaction of O2 with reduced volcanic gases
ðFvolcanicÞ, reduced metamorphic gases ðFmetamorphicÞ,
and reduced material on the continents ðFweatheringÞ.
During any particular epoch, RO2

will be in ‘steady
state’, which means that O2 will have accumulated in
the atmosphere to somevalue ofRO2

where theO2 sink
ðFsinkÞ will be equal to the O2 source ðFsourceÞ. In this
case, dðRO2

Þ=dt ¼ 0. Such a balance of source and
sinks is how O2 remains stable today. O2 levels have
evolved because the terms on the right-hand side of
eqn [2] have altered over Earth history. The sink due to
oxidative weathering was apparently smaller in the
Archean, but the source due to organic burial appears
to have been relatively constant on the basis of carbon
isotopes. This evidence implies that the sink from
reduced gases was greater in the Archean relative to
the source of O2. For O2 to rise, this sink must have
diminished.

Unlike volcanic gases, reduced metamorphic gases
provide an oxygen sink that is not determined by the
oxidation state of the mantle and so could have
changed greatly. The metamorphic recycling of more
reduced Archean crust would have produced more
reducing volatiles than the recycling of today’s more
oxidized crust, as amatter of redox conservation. That
the early crust was more reduced than today is
suggested by evidence showing no oxidized surfaces.
A decrease by a factor of B3 in the H2/CO2 ratio of
volatile fluxes is all that is required to flip the
atmosphere from a state dominated in redox terms
by hydrogen-bearing species like CH4 to an O2-rich
state. Crustal redox change, perhaps in combination
with a small change in mantle redox, could plausibly
have effected such a change in the redox state of
gaseous emissions. But why would the crust oxidize?

Just a small excess of hydrogen would have tipped
the redox balance of the atmosphere to an anoxic,
‘hydrogen-rich’state. For thermodynamic reasons, the
biosphere is prone to convert metabolically desirable
hydrogen to CH4, which would accumulate to levels
102–103 times present values. The photolysis of
methane in the stratosphere would promote rapid

escape of hydrogen to space, at B102 times today’s
escape rate. When hydrogen escapes to space, the
Earth as a whole is oxidized. The severe depletion of
noble gases in the composition of the Earth compared
to solar composition shows that the Earth did not
retain gaseous volatiles from the original solar nebula
when it formed. Hydrogen was originally incorporat-
ed into the Earth in an oxidized, solid form such as in
ice (H2O) or water of hydration (�OH). If hydrogen
is lost from such solids, the matter left behind is
oxidized. Thus, when hydrogen originates from gases
in the crust (or mantle) and escapes to space, the crust
(or mantle) is irreversibly oxidized.

Consequently, a plausible explanation for the 2.3
Ga rise of O2 is that excess reductants scavengedO2 in
theArchean.Hydrogen escape, promoted bymethane,
then oxidized the Earth, lowering the sink on O2 from
gaseous emissions until an oxic transition occurred.
Explaining a second, Neoproterozoic rise of O2 in the
same way is problematic, unless methane persisted
throughout the Proterozoic at a moderate level of
order 10 parts per million by volume and shifted a
redox buffer beyond another critical threshold. How-
ever, details are still obscure.

A large uncertainty is the time-integrated export of
reduced and oxidized material from the crust to the
mantle. Net export of reduced material to the mantle
could have perhaps oxidized the crust, essentially with
the same effect as hydrogen escape to space. However,
we know little about how much reduced material has
been subducted versus how much oxidized material
over Earth history.

The Emergence of the Ozone Layer

The Paleoproterozoic rise in oxygen would have
created an ozone layer, shielding surface life from
ultraviolet (UV) radiation. UV radiation with wave-
length below about 300 nm biologically harmful.
Radiation below about 200 nmwavelength is strongly
absorbed by CO2 and O2, whereas ozone shields
biologically harmful radiation in 200–300nm range.
Photochemical models show that harmful UV is
mostly absorbed with an ozone layer that would
form with O2 levels about 1–3% of present, similar to
those after 2.3 Ga.

Summary

The most significant biological event in the history of
the Earth’s atmosphere was the evolution of oxygenic
photosynthesis. However, there was a long delay
between the appearance of oxygenic photosynthesis
before 2.7 Ga, possibly as early as 3.5 Ga, and the
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oxygenation of the atmosphere at 2.3 Ga. This delay
reflects a secular change in the oxygen sink. The long-
term consumption of oxygen is ultimately controlled
by the release of reductants from the Earth’s crust and
mantle. A plausible explanation for the 2.3 Ga rise of
O2 is that excess reductants scavenged O2 in the early
atmosphere. Such conditions would have stabilized
abundant biogenic methane in the atmosphere. Meth-
ane photolysis would have led to significant escape of
hydrogen to space, oxidizing the Earth’s lithosphere
and lowering the sink on free O2 until an oxic
transition occurred. A second rise of O2 at about
1.0–0.6 Ga is suggested by increased sulfate concen-
trations in the ocean, although the cause remains
obscure. The progressive increase of atmospheric
oxygen levels set the stage for multicellular life to
develop. Ultimately, we owe our own existence to the
growth in atmospheric oxygen levels.

Glossary

Archean An Eon of Earth history ending at 2.5Ga.
The start of the Archean is now generally taken as
when Earth formed B4.5Ga, although some liter-
ature takes the start as 3.8Ga or 4.0Ga, where the
Archean is preceded by a ‘Hadean’ Eon.

Cyanobacteria Single-celled bacteria containing chlo-
rophyll- a and capable of oxygen-producing photo-
synthesis.

Ga 109 years ago.
Hydrogen escape The process in which hydrogen
atoms in the exosphere exceed the escape velocity of
the Earth and escape into space.

Ma 106 years ago.
Oxidation state The degree of oxidation of an atom,
molecule, compound, or quantity of matter. Sub-
stances with a low oxidation state have a large
number of available electrons, whereas substances
with a high oxidation state do not.

Oxidizing A process or environment (oxidizing
environment) in which a chemical element or ion
loses electrons and is changed from a lower to a
higher valence state.

Oxygenic photosynthesis The process in which an
organism uses sunlight, water, and carbon dioxide
to synthesize organicmatter, releasingO2 as awaste
product.

Paleosol Aburied, commonly lithified, soil horizon of
the geological past.

Phanerozoic An Eon of Earth history, 0.57 Ga to
present.

Proterozoic AnEonof Earth history, 2.5 to 0.57Ga. It
is composed of three eras, the Paleoproterozoic
(2.5–1.6 Ga), the Mesoproterozoic (1.6–1.0 Ga),
and the Neoproterozoic (1.0–0.57 Ga).

Red bed Sediment or sedimentary rock that is red or
reddish-brown in color owing to the presence of
ferric oxide materials usually coating individual
grains.

Reduction A process or environment (reducing envi-
ronment) in which a chemical element or ion gains
electrons and is changed from a higher to a lower
valence state.

Snowball Earth An event in Earth history when low-
latitude glaciation occurred and the whole Earth
may have been covered in ice.

Stromatolite A lithified, commonly laminated, sedi-
mentary structure produced as a result of the growth
and metabolic activities of aquatic, bottom-dwell-
ing communities of microorganisms.

Sulfate reduction A process used by some bacteria to
derive energy by reducing sulfate ions (SO4

2� ) to
H2S.

See also

Biogeochemical Cycles: Carbon Cycle; Sulfur Cycle.
Chemistry of the Atmosphere: Principles of Chemical
Change. Evolution of Earth’s Atmosphere. Gaia Hy-
pothesis. Ozone: Ozone Depletion Potentials; Ozone as
a UV Filter; Role in Climate; Surface Ozone Effects on
Vegetation. Tropospheric Chemistry and Composi-
tion: H2. Volcanoes: Composition of Emissions.
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The Diversity of Planetary Atmosphere

Although the planets Mercury, Venus, Earth, and
Mars have masses within a single order of magnitude
range, they possess atmospheres with extremely
different properties (Table 1). These bodies may
have initially possessed primordial atmospheres of
solar composition whose dominant light gases (hy-
drogen and helium) were lost to space and replaced by
outgassed water, carbon dioxide, and nitrogen (and
small amounts of other gases) during the final phase of
accretion 4.5 billion years (Ga) ago. The divergence in
atmospheric composition seen today may in part
reflect differences in initial volatile abundance, but
much of the diversity can be attributed to the individ-
ual evolutionary paths of these atmospheres over the
age of the Solar System. Rates of planetary atmos-
pheric evolution have differed markedly: whereas the
other planets have suffered catastrophic atmospheric
evolution (Mercury has experienced complete loss,
Venus a runaway greenhouse and devolatilization of
surface rocks, and Mars has lost most of the atmos-
phere to space or the crust), the evolution of Earth’s
atmosphere has been comparatively mild. Both exter-
nal processes, such as radiation and the corpuscular
wind from the Sun and impacts, and internal process-
es, such as volcanism and recycling of a planet’s crust
(e.g., plate tectonics) control this evolution. While
someprocesses drive exchange of compounds between
the atmosphere and reservoirs in the surface, oceans,
or interiors of planets, or the interconversion of
different chemical species, others result in the secular,
irreversible evolution of the atmosphere. Examples of

the former include atmospheric photochemistry, vol-
canism, and plate tectonics. The latter include the
accretion of new material (impacts of comets or
meteorites), escape of hydrogen to space, and the
sequestration of certain elements (siderophiles) into
the metallic core.

Earth’s atmosphere has been profoundly affected by
another process: life. The modern atmosphere, con-
taining abundant oxygen in gross chemical disequi-
librium with surface organic carbon and gases such as
methane, is testament to life’s ability to efficiently
convert light energy into chemical energy, some of
which is stored in the chemical disequilibriumbetween
the atmosphere and surface. Significant disequilibri-
um is not present on the sterile worlds of Venus and
Mars, and it has been suggested that the simultaneous
presence of pairs of gases like O2 and CH4 in an
atmosphere may serve as a planetary ‘biosignature’
that reveals the presence of abundant life even at a
distance. Some gases such asCO2, the principal source
of biological reduced carbon, are maintained at
mixing ratios much lower than the level predicted in
the absence of life. The current terrestrial atmosphere
is far from the end state reached by Venus, where all of
the surface volatiles are in the atmosphere (Table 2).

Also in contrast to neighboring planets, the terres-
trial atmosphere maintains conditions suitable for life
(providing a modest greenhouse effect and a shield
against biologically harmful radiation), and has ap-
parently done so for 3.5 billion years, despite a 40%
increase in solar luminosity, giant impacts, and the

Table 1 The atmospheres of the inner planets Mercury, Venus,

Earth, and Mars

Planet Mass [Earths] Pressure (hPa) Composition

Mercury 0.053 10� 9 H, He, Na

Venus 0.817 90000 96% CO2, 3% N2,

minor CO, SO2

Earth 1 1000 78% N2, 21% O2,

1% Ar, minor

H2O, CO2

Mars 0.107 7 95% CO2, 3% N2,

2% Ar, minor CO,

O2

Table2 The reservoirs of themajor volatileson theEarth (mantle

quantities are uncertain)

Reservoir Size (hPa) Climate role

H2O Atmosphere o0.001 Greenhouse gas,

carbonate sink,

weathering, biology,

plate tectonics

Ocean 26

Hydrated crust 10

Mantle B100

Total 136

CO2 Atmosphere 0.00003 Greenhouse gas

Ocean 0.0002

Carbonate rocks 4

Mantle B26

Total 30

N2 Atmosphere 0.078 Buffer gas, enhances

effect of greenhouse

gases

Crustal rocks 0.025

Mantle B0.1

Total 0.2
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changing tempo of plate tectonics. This fact is even
more remarkable in light of the relatively short
residence time of most gases: water vapor, the most
powerful greenhouse gas in the atmosphere, has a
residence time of only 10 days before exchanging with
the oceans. Even relatively inert nitrogen gas, the
principal component of the atmosphere, is recycled by
biological fixation (reduction), oxidation, and rere-
duction to N2 on a time scale of 10–15 million years.
Thus Earth’s atmosphere is not only out of chemical
equilibrium, but is dynamicallymaintained, having no
intrinsic buffering capacity on geologic time scales.

Evolutionary Processes

The early atmosphere would have been subject to
frequent bombardment by planetesimals left over
from early planetary accretion. These impacts may
have brought in volatiles, but they may also have
removed (to space) some of the existing atmosphere
either by the momentum of the impact shock wave or
heating of the upper atmosphere (see below). Impacts
also turn over the crust and expose fresh surfaces,
accelerating chemical interactions between the atmos-
phere and crustal rocks. Giant impact basins on the
Moon date to 3.9 billion years in age, indicating that a
similar bombardment shaped the Earth’s atmosphere
for the first several hundredmillion years of its history.
A second process that may have profoundly (perhaps
catastrophically) affected Earth’s atmosphere was the
formation of the iron–nickel core. This removal of
metallic iron (and possible fractions of iron-soluble
elements like sulfur, carbon, and hydrogen) left the
Earth’s surface and mantle in a considerably more
oxidized chemical state, a condition that would have
been reflected in the oxidation state of the compounds
thatwere being outgassed by volcanoes. Thus, as is the
case today, CO2, N2, and SO2 were the dominant
components of volcanic gases, rather than CH4, H2S,
and NH3.

Thermal escape of light atoms such as hydrogen and
helium can occur from the exosphere (the uppermost
layer of the atmosphere where the mean free path
between collisions exceeds the scale height). Escape is
efficient if the mean thermal speed is a significant
fraction of the escape velocity such that a non-
negligible number of molecules in the ‘tail’ of the
Maxwellian (thermal) distribution have speeds above
the escape velocity. Extreme and vacuum ultraviolet
radiation from the Sun (mostly in the 121.4 nmLyman
a line of hydrogen) is absorbed and converted into heat
in the Earth’s thermosphere. The modern thermo-
sphere lies above 400 km and has a temperature of
1200K. Non-thermal escape mechanisms, driven by

photochemistry and other energetic processes, also
operate. All these processes create energetic particles
by photolytic, electron impact, or ionic reactions. In
the absence of a magnetic field, direct momentum
transfer may result in knocking atoms from the
exosphere, in a process known as ‘sputtering’. Ions
may also migrate to the polar regions, where the
magnetic field lines are open to the tail of the
magnetosphere, and they can readily escape along
these field lines. In charge exchange, H atoms lose an
electron to a heavier ion, typically O1, and the
resulting proton is accelerated by the electric field of
the solar wind to exceed the escape velocity. The
ionizationpotentials ofOandHdiffer byonly 0.02 eV.
This difference is smaller than the thermal energies
corresponding to typical upper-atmosphere tempera-
tures, and as a consequence the charge transfer process
is very efficient.

Hydrogen loss from the exosphere is very efficient,
but the actual rate (3.0� 108 atoms cm� 2 s� 1) of
escape from the modern oxygen-containing atmos-
phere is limited by the transport of hydrogen from
deeper in the atmosphere. Hunten’s limiting flux
theorem relates the maximum escape flux of hydrogen
to the abundance of total hydrogen in themesosphere,
determined largely by the chemical sources and
transport. The escape rates of hydrogen in the past
were probably much higher than the present rate. The
primary reason is that the early atmosphere probably
lacked oxygen: on the modern Earth, hydrogen is
‘trapped’ by recombinationwithoxygen to formwater
in the lower atmosphere before it can reach the upper
atmosphere and escape. A second reason is that the
Sunwasmore active in the past, providing ahigher flux
of EUVradiation to power hydrogen escape. The flow
of hydrogen may have been sufficiently massive as to
cause the hydrodynamic escape of heavier gases by
momentum transfer.

Biology contributes to atmospheric evolution by
modulating the interconversion of compounds and the
exchange of compounds between the atmosphere and
other reservoirs. The paramount example of this is
oxygenic photosynthesis, which in effect partitions
CO2 into organic carbon and oxygen:

CO2 þH2O ! CH2Oðorganic compoundsÞ þO2

If the organic carbon is prevented from being
immediately reoxidized (e.g., by combustion or by
aerobic respiration in other organisms) then the
oxygen can enter the atmosphere. At some point in
the past photosynthetic production was able to over-
whelm sinks of oxygen and the atmospheric mixing
ratio ofO2 increaseddramatically, an event thatwould
never have occurred without the intervention of
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biology. Biology is also responsible for repartitioning
carbon dioxide between the atmosphere, oceans, and
limestone rocks (kinetically favoring the last) by
accelerating the process of silicate weathering and
carbonate precipitation:

CaSiO3 þ CO2 ! CaCO3 þ SiO2

Without marine organisms, carbon dioxide levels
would be much higher than current values: it has been
suggested that the successive development of more
sophisticated marine and terrestrial organisms (e.g.,
plantswith vascular roots) has led to a secular decrease
in atmospheric CO2 over time. A third process where
life has played an important role is to recycle oxides of
nitrogen (specifically nitrates) back to the atmosphere
by denitrification, e.g.:

4HNO3ðaqueousÞ þ 5CH2OðorganicsÞ
! 2N2ðgasÞ þ 7H2Oþ 5CO2

In the absence of biology, the formation of nitrates
by UV and lightning, and their rain out from the
atmosphere, would have been unchecked, removing
most N2 (and thus most of the atmosphere!) in about
one billion years.

Aerosols are a minor component of the terrestrial
atmosphere whose importance to climate is only now
being more fully understood. Aerosols are microme-
ter-sized particles of sulfur, organic compounds, and
salts that remain suspended in the atmosphere for
years. They scatter sunlight, effectively cooling the
surface, and serve as cloud condensation nuclei, i.e.,
sites of cloud water droplet formation. Clouds can
either cool (by reflecting sunlight back to space) or
warm (by blocking the escape of infrared radiation).
The aerosol content of the atmosphere may have
evolved because of changes in ocean salinity, the
surface area of the continents, and biological produc-
tion of sulfur compounds and organic compounds.

The Record of Atmospheric Evolution

Because most of the atmosphere is recycled on a
geologically short time scale, it has no ‘memory’ of
anything but the most recent events in Earth history.
The exceptions to this rule are the noble gases Ne, Ar,
Kr, and Xe, elements that are chemically inert and too
heavy to escape easily from the Earth. The rare gases in
the terrestrial atmosphere are depleted with respect to
other elements comparedwith their expected values in
the primordial nebula that formed the planets. They
also exhibit strong elemental and isotopic fraction-
ation, such that heavier elements and isotopes are
more abundant (Figure 1). The most plausible expla-

nation is that these gases were components of a
primordial atmosphere that escaped to space early in
Earth history, perhaps in a hydrogen ‘wind’ driven by
intense ultraviolet radiation from the young Sun or by
the giant Moon-forming impact. (Terrestrial 40Ar, in
contrast to its sister isotopes 36Ar and 38Ar, is primarily
a product of the radioactive decay of 40K and therefore
an exception.) Models of this escape also predict the
loss of essentially all N- and C-containing compounds
from such an atmosphere and imply that modern N
and C have a separate, later origin, from a long-term
reservoir in the Earth’s interior or else from a late
‘veneer’ of extraterrestrial material.

Our knowledge of the evolution of the other,
reactive gases is obtained by examination of the
chemical and physical effects the paleoatmosphere
has had onmaterials preserved in the rock record. The
best record, and the one that has received the most
attention, is that for atmospheric oxygen.Muchof this
work is based on the disparate aqueous solubility of
compounds of certain elements, particularly Fe, Mn,
and U, in the presence or absence of atmospheric
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Figure 1 Evidence for loss of an early terrestrial atmosphere:

isotopic composition of xenon in meteorites and in planetary

atmospheres, plotted relative to terrestrial atmospheric xenon.

Units are parts per thousand deviation from the terrestrial compo-

sition. The atmospheres of Earth andMars are depleted in the light

isotopes relative to meteorites, which are thought to reflect the

composition of the primordial nebula. The lighter isotopes may

have been carried away during the early escape of a hydrogen
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MatthewsMS (eds)Origin and Evolution of Planetary and Satellite

Atmospheres. Tucson, AZ: University of Arizona Press. Reprinted
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oxygen. Under anoxic conditions, iron is in its highly
soluble ferrous state, but insoluble ferric oxides and
hydroxides form in the presence of even small amounts
of oxygen. Sedimentary units formed in the Archean
(3.8–2.5Ga) and early Proterozoic (2.5–0.54Ga) are
characterized by banded iron formations, finely lam-
inated deposits of iron oxides and carbonates. The
distribution of these deposits suggests that iron was
relatively mobile and hence oxygen was absent in the
deep ocean during these epochs. Whether oxygen was
present in shallower water is not clear: Iron is
conspicuously rare in carbonate formations such as
stromatolites from this time. Conversely, iron concen-
tration in Archean paleosols (ancient soils) is low,
indicating that Fe remainedmobile (and hence remov-
able) during the weathering process. If these soils were
in chemical equilibrium with the atmosphere then the
stability of the ferrous state constrained pO2

levels to
o10� 4 of the present atmospheric level (PAL).
Oxidized soils and deposits (redbeds) in which the
(ferric) iron is retained do not appear in the geologic
record until after 2.4Ga.

Reduced forms of mineral sulfur (pyrite) and
uranium (uraninite) are insoluble and hence resistant
to removal by aqueous process. These minerals are
seen in Archean deposits, but not in later Proterozoic
ones, again indicating an increase in atmospheric pO2

.
The ratio of thorium to uranium in mantle-derived
rocks shows a marked increase from samples older
than 2Ga to younger samples, which can be explained
if recycling of U into the mantle has become less
efficient owing to increased retention of (soluble) U in
an oxidizing hydrosphere.Manganese is oxidized only
in the presence of abundant molecular oxygen, and on
the modern Earth this occurs only through the
intervention of Mn-oxidizing bacteria. Mn deposits
appear only during certain intervals in the geologic
record.The earliest Proterozoicwas a unique period of
Mn deposit formation (some of the deposits are of
great economic importance). If these deposits were
formed as oxides (rather than carbonates) then they
would be unambiguous indicators of the appearance
of high oxygen levels.

Although sulfur species are not a significant com-
ponent of the present-day atmosphere, and the bulk of
surface S is in the ocean, sulfur deposits may serve as
indicators of past oxygen levels because the rate of
oxidative weathering of sulfur minerals and the
transfer of S as sulfate to the oceans is controlled by
atmospheric O2. The other input of sulfur to the
ocean–atmosphere system is SO2 in volcanic gases.
Variations in atmospheric oxygen will change the
relative importance of these two sources. Possible
evidence for such a change is the disappearance of iron
formations after 1.8Ga. Rather than being the result

of an oxidation event, the immobility of Fe could be
the indirect result of a rise in atmospheric oxygen and
the initiation of a ‘modern’ sulfur cycle, in which
oxidativeweathering of sulfur-bearingminerals on the
continents leads to transport of sulfate to the oceans.
Sulfate reduction (by bacteria) would produce elevat-
ed concentrations of sulfide in deep water and precip-
itation of Fe as pyrite. Sulfur from ancient marine
sediments and evaporite deposits also records a shift
in the distribution of relative abundance of the two
major isotopes 32S and 34S, suggesting an increase
in sulfate reduction bybacteria. InArchean rocks there
is also evidence for mass-independent fractiona-
tion among a three-sulfur isotope system that
includes 33S (Figure 2). This fractionation pattern is
unlike those produced by the oxidation of sulfur by
weathering or the reduction of sulfate by biology,
where fractionation is proportional to the mass
differences between the isotopes. Mass-independent
fractionation could indicate that in the absence of
atmospheric oxygen during the Archean, certain gas-
phase reactions were significant contributors to the
sulfur cycle.

Carbon dioxide is a minor component (preindus-
trial pCO2

¼ 280 ppm) of the modern atmosphere, but
the principal incondensable greenhouse gas. Since the
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D33S ¼ 0. While all samples younger than 2 billion years have

D33S ¼ 0, older samples exhibit mass-independent fractionation

which is suggestive of an important role for gas-phase (atmos-

pheric) reactions. This fractionation may be a consequence of an

anoxic Archean atmosphere and a lack of oxidative weathering of

sulfide minerals. (From Farquhar J, Baoh H, and Thiemens M

(2000) Atmospheric influence of Earth’s earliest sulfur cycle.

Science 289: 756–758. Reprinted with permission.)
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amounts of CO2 in the oceans and carbonate rocks are
equivalent to 0.023 and 40 atmospheres, respectively,
there is the potential for substantial evolution in
atmospheric carbon dioxide levels! Higher CO2 is
suspected as one cause for awarmer climate during the
Jurassic and Cretaceous periods. It has been suggested
that there was a secular decrease in atmospheric CO2

over time, with levels as high as 300 hpa during the
early Archean. The rationale for this hypothesis is the
observation that the temperature-sensitive weathering
of silicate rocks, which produces calcium and magne-
sium cations and alkalinity, could have regulated the
formation of carbonate rocks and sequestration of
CO2 from the atmosphere. The weathering process
acts as a global thermostat: lower carbon dioxide
levels would bring about lower temperatures, which
would slow weathering and carbonate formation,
allowing CO2 levels to rise. Likewise, lower solar
luminosity in the past would have been compensated
by higher pCO2

. Although the geochemical logic is
compelling, there is actually little evidence to
confirm or refute the hypothesis. Under low-oxygen
conditions, high CO2 concentrations would have
favored the precipitation of minerals such as
siderite (iron carbonate). Absence of siderite in
some paleosols may place a constraint on atmospheric
CO2 (Figure 3).

The history of nitrogen, the primary but relatively
inert component of the modern atmosphere, is even

more poorly constrained by the geologic record. The
relative abundance of the isotopes 15N and 14N in
kerogens (organic molecules that are the sedimentary
product of the breakdown of living organisms) in
Precambrian rocks indicates a shift in relative abun-
dance from lighter to heavier nitrogen during the late
Archean.One explanation for the shift is an increase in
the oxygen content of the atmosphere that led to an
increased production in nitrate, either by atmospheric
processes or by biology. Nitrate compounds are used
by microorganisms, which either convert it to a
reduced form (ammonia) to include eventually in
cellular material, or use it as an oxidant in energy
generation (denitrification). Reduction of nitrates by
denitrifying bacteria yields isotopically light N2 gas
and isotopically heavy residual nitrates. As a result,
surface nitrogen, including that in cells, becomes
relatively heavy with respect to the atmosphere.
The shift is small (about 10 ppm), and it is unlikely
that there was a large change in the partitioning
between the atmospheric reservoir (the largest)
and surface nitrogen between the Archean and
Proterozoic. Thus the nitrogen isotopes may be telling
us more about the history of atmospheric oxygen than
of nitrogen.

Atmospheric Evolution and the Gaia
Hypothesis

According to accepted theories of the evolution of
main sequence stars, of which the Sun is a typical
member, the solar luminosity has been steadily in-
creasing by about 40% since the Sun formed. The
mean surface temperature of a planet like the Earth is
determined by energy balance. If the composition of
the atmosphere had remained unchanged, the Earth’s
mean surface temperature would have been below the
freezing point of water before about 2 billion years
ago. But the sedimentary record shows that liquid
water has always been present on Earth. A plausible
resolution of the ‘faint young Sun’ paradox is that the
early atmosphere contained more greenhouse gases
(e.g., CO2).Twogreenhouse gases other thanCO2 that
have also been considered for this role are ammonia
and methane. Both gases have strong absorption
bands that fall within the spectral wavelength range
or ‘window’ where the Earth reradiates most of the
solar energy it receives back to space, but outside the
primary CO2 absorption band at 15 mm. Their abun-
dances (mixing ratios) in the atmosphere will depend
on their rates of production and destruction. The
largest present-day sources of methane and ammonia
are biological, and that is likely to have been the case at
early times as well. While ammonia is a very effective
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absorber of infrared radiation, it is easily destroyed by
UV radiation and is unlikely to have been abundant
enough in the Archean atmosphere. Methane, on the
other hand, has a chemical lifetime of 10 years: CH4 is
stable with respect to molecular oxygen, but reaction
with hydroxyl radicals (OH) from the photolysis of
water vapor produces CH3, which does readily react
with O2. In the absence of oxygen to remove the
hydrogen also produced by photolysis, the OH can
recombinewithH and is no longer an effective sink for
methane. The modern production rate can maintain a
CH4 mixing ratio of 10� 3 in an anoxic atmosphere, a
level that can act in concert with a modest amount of
atmospheric CO2 to maintain Archean temperatures
above freezing. However, the dominant modern
source of methane is the microbiota in the anoxic
guts of termites and ruminants. It is not clear what the
production rates would be in the Precambrian before
animals existed.

It has been suggested that the existence and evolu-
tion of life on this planet may have had a profound
impact on the climate by regulating the amounts of
CO2 and other greenhouse molecules in the atmos-
phere, or by controlling the production of aerosols
and thereby modulating cloud formation. Observa-
tions of the fundamental role of biology in the cycling
of atmospheric gases is one basis for the ‘Gaia’
hypothesis in which the biosphere is conceived as
regulating climate to maintain suitable conditions for
biological activity. The ability of the biosphere to
maintain a global environment that is optimal for
life is known as homeorrhesis. That the terrestrial
atmosphere has been subject to homeorrhesis by the
biosphere throughout its long history is an intriguing
hypothesis but difficult to prove. Investigations into
the evolution of Earth’s atmosphere not only grapple
with profound questions about our planet’s hab
itability but also address the possible existence
and detection of habitable planets and life around
other stars. Human society, through the rapid
combustion of buried organic compounds (fossil
fuels), deforestation, and modulation of the plane-
tary albedo, now influences the evolution of the
atmosphere and climate. What kind of feedback
rolewewill ultimately play in the continuing evolution
of our planet’s atmosphere and climate remains to
be seen.

See also

Aerosols: Observations and Measurements; Role in
Radiative Transfer. Biogeochemical Cycles: Carbon
Cycle; Nitrogen Cycle. Carbon Dioxide. Climate:
Overview. Gaia Hypothesis. Global Change: Human
Impact of Climate Change; Upper Atmospheric Change.
Paleoclimatology: Ice Cores; Varves.Reflectance and
Albedo, Surface. Thermosphere. Volcanoes: Role in
Climate.
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Introduction

Flooding is arguably theweather-related hazard that is
most widespread around the globe. It can occur
virtually anywhere. A flood is defined as water
overflowing onto land that usually is dry. Flooding is
often thought of as a result of heavy rainfall, but floods
can arise in a number of ways that are not directly
related to ongoing weather events. Thus, a complete
description of flooding must include processes that
may have little or nothing to do with meteorological
events. Nevertheless, it is clear that in some ultimate
sense, the water that is involved in flooding has fallen
as precipitation at some time, perhaps long ago. The
origins of flooding, therefore, ultimately lie in atmos-
pheric processes creating precipitation, no matter
what specific event causes the flooding.

Floods produce damage through the immense
power of moving water and through the deposition
of dirt and debris when floodwaters finally recede.
People who have not experienced a flood may have
little or no appreciation for the dangers of moving
water. The energy of that moving water goes up as the
square of its speed; when the speed doubles, the energy
associated with it increases by a factor of four.
Flooding is typically coupled to water moving faster
than normal, in part because of the weight of an
increased amount of water upstream, leading to an
increase in the pressure gradient that drives the flow. In
most cases, the damage potential of the flood is
magnified by the debris that the waters carry: trees,
vehicles, boulders, buildings, etc. When the waters
move fast enough, they can sweep away all before
them, leaving behind scenes of terrible destruction
(Figure 1).

The effect of the water itself can be devastating on
structures and on the objects within them: books,
furniture, photographs, electronic equipment, and so
on can be damaged simply by being immersed inwater,
even if they are not directly damaged by the water
movement. Moreover, floodwaters typically contain
suspended silt and potentially toxic microorganisms
and dissolved chemicals. This means that floods
usually compromise drinkingwater supplies, resulting
in short-term shortages of potable water, with the
additional long-term costs in restoring drinking water
service to the residents of a flooded area. The mud and

debris left behind when floodwaters recede can be
costly to clean up and also represent a health hazard,
especially when there are decomposing bodies of
drowned wild and domestic animals in the debris. In
some situations, floods drive wild animals (including
invertebrates of all sorts) from their normal habitats
and into human habitations near and within
the flooded areas, which can create various pro-
blems, especially when the animals are venomous or
aggressive.

Although flooding has some large negative impacts
on humans, it is also part of the natural processes
shaping the Earth. Floodplains along rivers and
streams are among the most fertile regions known.
Most of the so-called ‘cradles of civilization’ are
within floodplains for this very reason (e.g., the Nile
River, the Tigris–Euphrates River, among others).
Hence, humans have been affected by flooding both
positively and negatively since before historical times,
whenever they find themselves in the path of these
natural events.

Figure 1 Damage resulting from the 1977 Johnstown, Pennsyl-

vania, flash flood event. (r The Johnstown Tribune-Democrat,

used by permission.)
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Floods as a Direct Result
of Precipitation

When the waters of a flood arise directly from
precipitation, atmospheric processes can be identified
as directly responsible for the event. That is, rainfalls
occur that are well beyond the average values for the
affected area. It is only when those rainfalls exceed the
average that land which is usually dry can be affected;
that is, a flood occurs. Thus, the rainfall amounts
needed for floods cannot be defined in absolute terms.
A precipitation event that causes a flood in one
location might be well within the bounds of what is
typical for another location. Generally speaking, the
threshold for flood-producing rainfalls increases as the
annual average rainfall for a region increases.

Flash Floods

Flash floods are defined as those flood eventswhere the
rise in water is either during or within a few hours of
the rainfall that produces the rise. Therefore, flash
floods occur within small catchments, where the
response time of the drainage basin is short. Many
hydrological factors have relevance to the occurrence
of a flash flood: terrain gradients, soil type, vegetative
cover, human habitation, antecedent rainfall, and so
on. In steep, rocky terrain or within heavily urbanized
regions, even a relatively small amount of rainfall can
trigger flash flooding. These hydrological factors
determine the response of the catchment to the
precipitation event. Thus, a flash flood is clearly the
result of the concatenation of bothmeteorological and
hydrological circumstances.

Most flash floods associated with rainfall are
produced by thunderstorms; that is, deep, moist
convection. A single thunderstorm cell is unlikely to
produce enough rainfall to cause a flash flood, so the
typical flash flood is the result of several thunder-
stormsmoving successively over the same area, known
as ‘training’ thunderstorms (Figure 2), because it
resembles the passage of cars in a freight train. A
succession of thunderstorms results when new thun-
derstorms pass repeatedly over the same place while
the overall system of thunderstorms is very nearly
stationary. The infamous Johnstown, Pennsylvania
flash flood of 19–20 July 1977was produced by such a
system. Thunderstorms forming in north-western
Pennsylvania moved south-eastward, only to be
replaced by newly formed thunderstorms, a process
that went on for several hours. The result was
torrential rainfall concentrated near Johnstown, with
amounts exceeding 400mm. The ensuing flood was
responsible for 77 fatalities and $550 million (in 1999
dollars).

Occasionally, flash floods are created in conditions
that are not favorable for thunderstorms but which
still produce heavy rainfalls. This can occur when
moist air is forced upward overmountains by thewind
flow, called orographic precipitation. When the air
forced upward is very moist, the rainfall can be quite
heavy. The steep, rocky terrain also promotes rapid
runoff of the rainfall. Flooding along theWestCoast of
the USA or in the European Alps is often of this type;
that is, not involving thunderstorms.

A characteristic of flash floods is the localized nature
of the heaviest rainfall. As shown in Figure 3, the most
intense rainfall is typically confined to a relatively
small area. When large amounts of this localized
precipitation fall within a small drainage basin, flash
floods can occur. Sometimes, the location where flash
flood damage occurs may actually receive little or no
rainfall. That is, the rainfall that causes the problem
can occur upstream of threatened areas. This separa-
tion between the rainfall and the flood can cause
confusion because itmay not even be raining in an area
for which flash flood warnings are issued. Another
factor in the impact of flash floods is that the
precipitation causing the event often falls during the
night, when it can be difficult to get warnings to
sleeping residents. The central part of the USA is well
known for its heavy thunderstorm-produced rains
during nighttime hours. Worldwide, thunderstorms
are most common during the day, but on the central
plains of the USA (and in a few other places around the
world), the unique geography of the region favors
nocturnal thunderstorms. This setting promotes a
strong flow of moisture northward from the Gulf of
Mexico, called a low-level jet stream, during thewarm
months of the year. Moisture carried by the low-level
jet stream helps to maintain thunderstorm systems
that often begin during daytime hours on the higher
terrain to the east of the RockyMountains. Because of
the low-level jet stream, such storms can persist well
into the nighttime hours, often forming clusters
of thunderstorms known as mesoscale convective
systems (Figure 4).

It is the rapidity of the event that makes flash floods
so damaging and dangerous. Flash floods involve
rapidly rising, fast-moving waters that can do im-
mense damage; the suddenness of the onset of the flood
can result in people being caught unawares. Most
fatalities result from drowning, with perhaps some
traumatic injuries from being carried along in the
debris-laden waters and being swept into standing
objects. The potential for loss of human life with flash
floods is high. Debris carried in flash floods can form
temporary ‘debris dams’ that typically fail as waters
back upbehind them. Failure of these debris dams then
results in a ‘wall of water’surging downstream.Debris
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dam failure events can happen repeatedly during the
course of the flash flood. Not all flash floods are
characterized by a ‘wall of water’ but all of them (by
definition) involve rapidly rising floodwaters.

Because urbanized areas promote runoff of rainfall,
rather than permitting most of the rain to be absorbed
into the ground, flash flooding is more likely in cities
than in rural areas surrounding a city. It takes much
less rainfall in a city to create a flash flood situation
than in a rural area of comparable size.

Flash floods continue to be a major contributor to
loss of life, in spite of improved precipitation fore-
casting. Some noteworthy examples include events in
the Big Thompson Canyon in Colorado (1976 – 144
fatalities) and near the town of Biescas in the Spanish
Pyrenees (1996 – 86 fatalities).

Tropical cyclones often create devastating flash
floods as a result of torrential rainfalls. In late October
of 1998, Hurricane Mitch caused more than 9000
fatalities (the exact number is not known), mostly in
Nicaragua and Honduras, in Central America, from

flash floods and landslides associated with its rainfall.
It was the worst weather disaster in terms of casualties
in the Western Hemisphere during the twentieth
century.

River Floods

River floods, in contrast to flash floods, typically
unfold over days, or evenmonths. This is because they
occur in large basins involving ‘main stem’ rivers like
the Missouri, or the Nile, and are usually the result of
many individual rainfall episodes spread out over
many days. In fact, within a river flood event, several
flash flood events can occur. Again, hydrological
factors often contribute to a river flood, but river
floods are not so sensitive to them as are flash floods.
Whereas individual thunderstorm systems can cause
flash floods, river floods are usually the result of a
stagnant synoptic-scale weather pattern. Localized
heavy rainfall events occurmany times during a period
of days or even months, each contributing its share of

Figure 3 Observed total precipitation (mm) during the Johnstown, Pennsylvania (JST, located by an asterisk) flash flood event. For

reference, Pittsburgh, Pennsylvania (PIT, located by the plus sign) is also shown. (Adapted from Figure 14a in Hoxit LR, Maddox RA,

Chappell CF, Zuckerberg FL,Mogil HM, Jones I,GreeneDR,SaffleREandScofieldRA (1987)Meteorological Analysis of the Johnstown,

Pennsylvania, Flash Flood, 19–20 July 1977. NOAA Technical Report ERL 401-APCL 43, NTIS Accession No. PB297412.) NOAA,

National Oceanographic and Atmospheric Administration.
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rainfall to the tributaries, which then discharge into
the main stem of a river. The river rises gradually in
response to all the input rainfall. The river flood
potential of a situation can be increased by concurrent
snow melt and other factors besides rainfall.

The major flooding event during June and July of
1993 was the result of a weather pattern (Figure 5A)
that produced a storm track across the upper Mid-
western USA. Abnormally low heights of the pressure
surfaces (associated with cool temperatures) over the
northern Plains produced a pattern in which traveling
weather disturbances intensified in the Midwest after
crossing the RockyMountains. This pattern aloft also
produced an anomalously strong poleward flow of
low-level moisture from the Gulf of Mexico into the
Midwest. Mesoscale convective systems developed
almost every evening during the early summer, typi-
cally persisting through the night. These passed
repeatedly over nearly the same areas, resulting in
widespread significant rainfalls (Figure 5B) for the

period over the lower Missouri and upper Mississippi
basins. In addition to these factors, considerable
rainfall over the region had fallen during the previous
several months, providing a hydrological setting that
favored runoff of the precipitation. This event pro-
duced disastrous flooding that persisted for many
weeks.

Owing to the long time scale of the rising waters,
river floods pose a lower risk of fatalities; people have
more time to take proper actions. Of course, some
casualties result from waiting until it has become too
late to respond to the threat. Levee anddam failures, as
well as intentional rapid release of impounded waters
to prevent the catastrophic failure of the flood control
structures, can produce rapidly rising water situations
embedded within a river flood, and these also can
contribute to loss of life.

Because of the large scale of river floods, the damage
figures may be enormous; easily into the billions of
dollars. Crop losses are a major factor in the costs of

~ 500 km

Figure4 False-color enhanced infrared satellite imageof amesoscale convective system,with the light red colors indicating the coldest

(therefore the highest) clouds. Note that this image is from 17 August 2000 at 0345, local time, which corresponds to 0845UTC.
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river floods, whenever large tracts of prime agricul-
tural land along floodplains are inundated. Levees are
often used to protect populated areas, so the failure of
those levees can generate major property losses. The

damage and dislocations along the Upper Mississippi
and Lower Missouri basins during the summer floods
of 1993, during which several levees were breached,
illustrate the huge impact such events can have.
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Floods Arising from Nonprecipitation
Events

Apart from floods resulting directly from rainfall,
there are many ways in which precipitation can cause
floods, perhaps long after it has fallen. When flowing
water is impounded by the construction of dams, there
is some risk that the dams will fail. Johnstown,
Pennsylvania, was inundated by a dam failure during
a rainfall event in 1889, for example. Such rapid
releases of stored water can be cataclysmic, manifest-
ing themselves as an enormous ‘wall of water’ choked
with debris.

Flood can also arise through themelting of snowfall.
In situationswhere the precedingwinter’s snowpack is
deep, a sudden change to warm temperatures in the
spring can result in abnormally rapid melting and
runoff of the snowmelt. The devastating flood created
in Grand Forks, North Dakota, in April of 1997 is an
example. Occasionally, warm rain falls directly onto
the melting snow, exacerbating such situations by
speeding the melting process and adding more liquid
water.

Deposits of snow and ice on volcanic peaks canmelt
rapidly during eruptions. The resulting runoff, often
turned into a thick slurry by the inclusion of volcanic
ash, roars down themountainside and is called a lahar.
A tragic example occurred with the Nevado del Ruiz
volcano in Colombia on 13 November 1985, which
killed more than 23 000 people, mostly in the town of
Armero. Another occurred in Iceland during 1996 on
the Vatnajökull glacier, with no fatalities owing to its
remote location. Lahars can continue occasionally for
years after an eruption, when heavy rains fall onto ash
deposited by the volcano.

During the winter and late spring, when ice can
build up on rivers in cold climates, the breakup of the
ice can create ice dams on the river. The ice dams cause
the waters to back up, sometimes flooding the land
upstream of the ice dam. Then, the breakup of the ice
dam can result in a flash flood wave that surges
downstream of the ice dam’s position.

Other flood situations can develop along the shores
of the world’s oceans and even with large freshwater
lakes. Tsunamis, typically caused by underwater
earthquakes and landslides, can flood the shorelines
with hugewaves that break on the shallowwaters near
the shore. Storms of all sorts, including tropical
cyclones, can drive the waters before the winds into
storm surges that inundate shore areas when the
storms are near the land. Large lakes can experience
flooding on their shores due to seiches, which are
surges of water (usually oscillatory) within enclosed
bodies of water. Seiches can be caused by earthquakes
or by atmospheric processes.

Societal Impacts and Their Mitigation

The results of floods on society worldwide are
substantial. Flooding is responsible for many drown-
ing fatalities in tropical cyclones, either from storm
surges or from freshwater rain-induced flash floods.
Flash floods and river floods typically produce more
fatalities every year than either tornadoes or hurri-
canes in the USA. In many parts of the world, flood
fatalities are associated with the most significant
weather-related disasters. Flood damage cost in the
USA is now on the order of several billion dollars
annually, and this figure continues to rise.

Many people now live and play in flood-prone
areas: for example, within floodplains of rivers and
their tributaries, as well as along coastlines that are
vulnerable to storm-caused flooding from tsunamis,
tropical cyclones, and nontropical storms. Develop-
ment of flood-prone areas for habitation and recrea-
tion has been increasing, with a corresponding
increase in the risks to life and property. The 1993
Upper Mississippi and Lower Missouri River floods
provided a grim reminder of the risks of building
permanent structures within floodplains, even when
flood-control measures have been taken.

In the case of flash floods, it is difficult to take
measures to protect property, owing to the rapidity
withwhich the event happens.However, prevention of
flash flood casualties is possible, provided warnings
can be issued and acted upon properly in a timely
fashion. Considerable attention has been paid to
increasing public awareness of the dangers of driving
into rapidly rising floodwaters, for instance, as a result
of recent experiences with flash floods. Unfortunately,
situations can still arise where warnings are not issued
in time. People living and engaging in recreational
activities in places prone to flash floods need to be alert
during heavy rainfalls and be prepared to seek safety
even when they do not receive timely warnings.

For river floods and other relatively slow-developing
situations (suchas rising snowmelt or iceactionevents),
itmaybepossible to reduce thepropertydamage aswell
by removing the contents of structures. Obviously, any
structures (and their contents) built in flood-proneareas
are permanently at risk; the onlyway to guarantee their
protection from floods is to move them out of those
areas. Prevention of fatalities in river flood events is a
matter of heeding the warnings of danger and moving
residents out of the danger areas before the number of
options is reducedby the risingwaters andby the failure
of levees or other flood-prevention structures.

Forecasting the details of flooding events is an
important part ofmitigation. Knowing precisely when
and where a flood will occur would no doubt be
helpful, but it is also important to be able to anticipate
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the magnitude of the flood. An example of this is the
tragedy of the 1997 Grand Forks, North Dakota case,
where the river level was only a few feet higher than
that forecast. Those few feet, however, had a large
impact, because the flood-control operations were
based on the lower forecast value.When the river rose
above that level, the flood-control measures failed
catastrophically. In reality, such a forecast can never be
a precise statement; uncertainty is implicitly a part of
every forecast, a point that perhaps needs greater
emphasis in the future.

Flooding, by its very nature, is usually a result of
both meteorological and hydrologic processes; the
character of a flood is determined both by the detailed
behavior of the precipitation and by the nature of
situation in which the event is likely to occur (soil
conditions, amount of antecedent rainfall, and so on).
It is not likely that precisely detailed forecasts of
flooding events will ever be possible, although it is
certainly well within our capability to anticipate the
possibility of most flood events. The challenge for
reducing the social impacts of floods is how best to
make use of the uncertain meteorological and hydro-
logical forecasts that are within practical means. The
challenge is to make effective use of whatever fore-
casting capability we have, even as we seek to improve
that capability.

Effects of Human Activities on
Flooding

In addition to the risks to lives and property that
people take by moving into flood-prone areas, devel-
opment for human use often involves clearing land of
its native vegetation and altering the characteristics of
the ground cover. Vegetation works together with the
soil to store rainfall, sowhen that vegetation is cleared,
rainfall runoff can increase substantially. Rather than
being absorbed by the soil and its natural vegetation,
in areas where that vegetation has been cleared (either
for construction or for agriculture), heavy rainfall is
more likely to run off and pour into streams and rivers,
increasing the potential threat from flash floods and
river floods. Construction of roads and buildings also
acts to increase runoff, and leads to an increasing
likelihood of localized urban flooding. Such construc-
tion dramatically increases the fraction of the rainfall
that runs off, regardless of antecedent rainfall. Hu-
man-caused fires can also produce at least temporary
increases in the runoff potential in the headwater
regions of streams and rivers. It is evident that human
activities are increasing the potential for floods around
the world.

Again recalling theMississippi River floods of 1993
as an example, the issue of flood control through levees

and other structures was dramatically recalled to
public attention. The value of structural methods for
flood control (levees, flood control dams, breakwaters,
etc.) remains controversial, but the 1993 floods made
it apparent that structures such as levees can be
breached duringmajor flooding episodes, even though
they may be able to contain lesser events. Structural
failures create rapidly rising waters (flash floods)
artificially within a river flood event, increasing the
hazards to human life as well as destroying property.
The decision about when and where to take structural
approaches will continue to be a challenge.

Finally, the use of flood-prone areas for human
activities puts lives and property at risk, although the
major flood events may be separated by many years.
The long time between events can lead to complacency
and subsequent disasters. The choices associated with
land use are a continuing challenge, now and in the
future. When humans live and play in ways that put
them in the path of potential floodwaters, major
societal impacts are inevitable.
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Introduction

Murky and perhaps even eerie, or pristine and serene,
are just a few of the descriptions of the often blinding
white–gray veil that comes tomindwhen people think
of fog. Whether over oceans or local waters or over
various landscapes, a certain uniformity and blank-
ness is associated with fog. Often hugging the terrain,
or simplymasking the landscape, fog compromises the
integrity of our senses that are honed to a fog-less
environment. Sometimes it is like an unbending solid
wall, many times vanishing over short distances until
another patch is encountered, and even the beauty of a
fogbow belies the significance of fog.

Merely a collection of small-diameter suspended
water droplets in the air, fog may occur in a calm
atmosphere that is saturated, or nearly so, and may
also occur in cool and moist air moving quickly past
us. Although fog is commonly thought of as merely ‘a
cloud on the ground’, it is much more than this given
its very dynamics of formation, ‘intensity’ (or thick-
ness), nature of the droplets that it consists of, and
areal extent andduration. Fog occurs around the globe
for many different reasons and can be elusive when
predicting its exact occurrence.

Will fog form? Where will it form? When will it
form? How ‘thick’ will it be? How long will it persist?
These are only a few of the many questions forecasters
and people ask about the enveloping droplets of fog.
Yet to examine fog occurrence it is necessary to
consider first its impact on our activities and then learn
more about its characteristics and physical behavior.
Beyond fog impacts, the observation and study of fog
helps us to define its characteristics more completely
and thus aids in our understanding of the fog process.
With this information we are able to better predict its
occurrence, extent, intensity, and duration so as to
avoid or mitigate some of the hazards associated with
fog. In fact, such an examination provides us with an
opportunity to make use of fog in various agricultural,
military, andother applications.The significanceof fog
and fog prediction includes impacts as well as benefits.

Impacts

Fog occurrence impacts a wide variety of human
activities worldwide. These impacts range from in-

convenience to annoyance and from high costs to
deadly consequences. Although mostly negative con-
sequences and perceptions are associated with fog,
there are positive benefits as well. These range from a
pleasing esthetic effect to fog harvesting for agricul-
tural and water supply applications. Thus repercus-
sions can lead to a variety of associated political,
social, and legal implications, depending upon the
precise impact and the person or peoples – and
economies – affected. The first and most obvious
impact of fog is related to the reduction of visibility.
This reduction hampers and restricts our navigational
abilities and thus increases our chances of judgment
errors in the operation of transportation vehicles.
Reduced visibility in fog quickly impacts our ability to
drive,move overwater, fly, and transit land by train. In
each case the inability to seewell, or to see an adequate
distance ahead, is compromised by both fog and the
speed ofmotion. It is further compromised by our own
ocular inability to distinguish objects given limited
brightness and contrast that occur with fog.

Land Transportation

Land transportation includes automotives, trucks,
and heavy machinery and is prone to disruption and
delay when fog is present. Near Windsor, ON (Can-
ada), a highway ‘pileup’ collision during morning fog
in September 1999 resulted in seven deaths as 62 cars
and tractor-trailers collided. In the United States in
Kingsburg, CA inNovember – andWaynesboro, VA in
April – heavy fog resulted in highway pileups that
killed 42 and injured 91 people as 40–65 vehicles
collided in mountain and valley regions in 1998. The
Virginia pileup is a ‘chain-reaction’ crash in a region
prone to ‘heavy’ fog, heavily traveled, and which
frequently experiences low visibilities. A tour bus and
truck collided in Asuncion (Paraguay) in March 2000
while traveling through early morning dense fog and
30 of 45 people on board were killed. A caravan of
buses transporting college students in Pennsylvania
(United States) traveling through dense fog overnight
collidedwithone another killing twoand injuring 106.

In Bourg-Achard (France) in September 1997,
several chain-reaction crashes claimed eight lives and
injured 63 as over 100 vehicles were involved during a
mid-morning ‘heavy’ fog event. Witnesses and victims
reported that visibility was merely 45 yd (41.148m)
when the crashes occurred. On the Ivory Coast in
Abidjan (Africa), ‘thick’ fog combined with dusty
winds from the Sahara Desert during the Harmattan
Season in December 1995 killed 14 and injured 86.
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News reports indicated that a similar accident in
August killed 20and injured 62, and that drivers in this
region are known for speeding and for their reluctance
to diminish their speeds evenwhenweather conditions
are poor. In Lisbon (Portugal), four were killed and 70
hurt in a 100 car pileup in January 2000 that halted up
to 6000 cars in both directions of a 20mile roadway
for 5 h.

In Mobile, AL in the United States, 193 vehicles
collided on the Mobile Bay ‘Bayway’ highway in the
country’s worst fog accident ever in March 1995,
sending 91 injured to hospitals and killing, miracu-
lously, only one person. Insurance losses were esti-
mated at over one million dollars at the time of the
accident, and witnesses and victims report sitting in
their cars and listening to the continuing crashes
behind them. Some report driving ‘into a wall’ of fog
with visibility immediately reduced from 0.5 mile
(0.8045 km) to near zero. The roadway was closed for
hours in both directions of travel. The event led to the
installation of fog sensors in the hopes of avoiding a
repeat of the accident. The same was done for a fog
warning system in Waynesboro at a cost of over five
million dollars.

Although many deaths are directly attributable to
collisions, a number are caused by fires ignited during
the collision process.Many factors lead to such serious
consequences during fog events. These include poor
visibility, vehicle speeds (posted as compared to
traveled), traffic volume, roadway design and surfac-
ing, driving habits (which include invincibility and
trust of braking systems, e.g., anti-lock systems),
roadway conditions (perhaps dry but sometimes wet
due tomist or drizzle, previous rains, or condensation)
that restrict braking ability, and windshield visibility
effects. Although fog has been cited as the primary
cause of an accident in generally less than 1% of all
accidents in a given region, it has been cited up to 10%
of the time in a fog-prone region, particularly in
multiple collisions. The average claim for one vehicle
is nearly $8000 (US) and over one million dollars for a
multiple-vehicle crash.

The most obvious threat is reduced visibility which
restricts a driver’s ability to navigate the roadway. This
is further diminished with increasing speeds and of
serious consequence resulting in many deaths and
injuries every year around theworld. The visibility not
only restricts horizontal distance and depth percep-
tions but also reduces the ability of drivers to gauge
their own speed of travel. Through computer simula-
tions a psychologist was able to determine that
although drivers could learn to sustain their speeds
in simulation, the addition of fog distorted or de-
stroyed this ability. Ironically, many drivers are prone
not to check their speeds in a fog situation as they seek

desperately to maintain their scanning of the roadway
ahead to ensure their own safety.

In addition, the variation of fog intensity and
duration create a rapidly changing set of visibilities
during the course of travel and may be further
enhanced by hilly terrain and/or protected regions.
Although no criteria exist for safe driving in fog, it is
clear that visibilities under 1mile (or 1.6 km) while
driving at speeds of near 60miles per hour (i.e., one
mile per minute; or 96.54 kph) compromises seriously
a driver’s integrity and response time to hidden
hazards. This is often exacerbated by the distance
between vehicles and curved or inclined sections of
roadway. Thus the first lines of defense for navigating
fog is the reduction of speed, the use of headlights
and/or flashers, fog lights or fog-free lenses and
shields, and the ‘stop, rest, and wait’ approach. Other
alternatives include fog dispersion or mitigation tech-
niques discussed later.

Rail transportation may be impacted similarly by
fog conditions. In Badrshein (Egypt), on theNile River
in December 1995 at about 8.00 a.m., one passenger
train plowed into an express coach which had slowed
due to ‘heavy’ fog. The wreck killed 75 and injured 76
as five train cars were destroyed and 40 damaged.
Reportedly the train’s driver could not see even a yard
(approximately 0.9144m) to the front and had
apparently ‘stuck his head out of the window’ to try
to see better. Rail collisions have also involved motor
vehicles and marine vessels at various crossings.

Marine Transportation

The operations of ships and barges, pleasure craft, and
sailboatsmay all be hampered by fog. Fog events often
slow, and may even stop, marine operations with
significant economic costs. Awell-known event is the
sinking of the Andrea Doria in July 1956 off the mid-
Atlantic coast of the United States after collision with
the Swedish liner Stockholm. One of the most serious
incidents occurred in the northern portion of Mobile
Bay, Alabama (United States) in September 1993.
During the earlymorning hours a barge collidedwith a
rail span, moving it out of alignment moments before
the arrival of an Amtrak passenger train. Rescue
operations were severely hampered due to inability to
reach easily the crash location and survivors as 47
people died. Three years later the country’s Coast
Guard implemented rules requiring towboats to be
equipped with radar, searchlights, radios, compasses,
and other navigational gear and that the crews knew
how to use them.

Shipping operations are stopped or slowed when
visibility is as low as 0.25mile (0.4023 km). In amajor
(or minor) port or cargo region, large financial losses
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can occur when operations are halted. In the case of
delays, reduced supplies and delivery of critical
elements and products limit the productivity of
industry and commercial interests and their ability to
provide services to their clients. At the same time, ship
operations require daily operating and maintenance
costs, salaries, and living expenses which decrease
profits. In the case of halting operations, these
considerations also include reduction or elimination
of the viability of product, particularly if perishables
or refrigerated goods are being transported. Losses
may range from $10 000 to $25 000 per day per ship
and into millions for even a moderately active harbor
or port of call.

Air Transportation

Aircraft impacted by fog include airplanes, blimps,
balloons, and helicopters. Although fog-related crash-
es have occurred for large aircraft in the past, this is
much less frequent today given instrument flight
regulations and improved navigational beacons and
technology as part of air traffic control. Smaller planes
however are more prone to difficulty as they lack such
systems. The more typical impact of fog today is the
delay anddiversion of flights. InHongKong (China) in
March 1998, 10 000 passengers were stranded at the
airport as over 50 flights were canceled, delayed, or
diverted. Dense fog events in Minneapolis, MN
(United States) in November 1997 and February
2000, and at the Jackson Mississippi (United States)
International airport in June 1996 resulted in flight
delays for thousands of travelers during the morning
hours. At LaGuardia Airport in New York
(United States) in February 1996, delays claimed
most travel plans for an entire day as visibility was
reduced to 300 ft (91.44m). Some passengers were
shuttled to nearby airports 10–30miles (16–48m)
away to take alternate flights. Most flight operations,
regardless of instrumentation, require at least
0.75mile (1.207 km) visibility for takeoff and
landing.

Weather has been reported as responsible for one-
fourth to one-half of all aviation accidents in the
United States, including fatal accidents, with an
average of over 400 lives lost each year. The delays,
diversions, and cancelations resulting from fog add to
the cost ofmajor accidents. Delays and diversionsmay
result in greater costs due to fuel usage, passenger
discomfort and complaints, and the shuttling of
passengers to alternate flights or airlines. Cancelations
result in displaced passengers and flight crews and
create additional costs of lodging, food, and alternate
transportation. Depending on plane size and passen-
ger loads, and regardless of an airport’s preponderance

for fog, a delayed or canceled flight may cost an airline
between $5000 and $25 000 per flight.

Military, Rescue Operations, and Other Impacts

Although these are the most common types of impacts
(Figure 1), many other impacts do occur for a variety
of military and rescue operations and other activities.
For example, theD-Day invasion and other theaters of
engagement have benefited or suffered from the effects
of fog. The deployment of troops in Tuzla Bosnia-
Herzegovina by the United Nations was put ‘on-hold’
for several days as persistent and continuous fog
claimed the land inDecember 1995. The rough terrain
is known for its bad weather and thus allows only
small windows of opportunity for flight operations to
be made safely. In addition, rescue operations for a
cargo ship, which had collided with another off the
South Korean coast, were suspended in June 1996 as
persistent fog limited visibility to less than 10 yd
(9.144m). Space shuttle operations, as well as delayed
launches and landings, have been impacted by fog or
the prediction of its occurrence.

Although rare, fog has caused sporting event can-
celations (baseball and football) or suspensions and
class delays or cancelations at schools and colleges
(especially if a large number of commuter students).
Fog has also played a role in dangerous air pollution
episodes including Belgium in 1930, Pennsylvania in
1948, and London in 1952. More recent events
include fog combining with forest and oil fires,
chemical spills, and other emissions. These events are
sometimes aided by topographic variations (e.g., a
valley location, river valley, or other water source),
regional climate (e.g., coastal), and nature of human
activities (i.e., industrial or agricultural) in a stable
atmosphere (e.g., Mexico, Arctic).

Air pollutants can also act as condensation nuclei
and create lower visibilities through haze and fog. This
was recognized both in early Roman history as well as
prior to that time. Some of the most intense fogs result
when high concentrations of pollutants and other
aerosols are found in the air. London fog and its
combination with pollutants, recognized as early as
the 1660s, was brought to the attention of King
Charles II and Parliament. In Donora, PA during
October 1948, nearly half the population of 14 000
became ill during a prolonged valley air pollution
episode that was accompanied at times by fog. The
enactment of air quality regulations has aided in the
abatement, but not the elimination, of such impacts.

Legal Implications and Mitigation

Although no direct fog insurance exists, the costs
associated with fog events and disasters may be
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covered according to damage, repair, and replacement
as well as personal suffering or loss. The liability may
necessarily carry high rates as a function of the
numbers of people involved and the nature of the
‘cargo’ being transported, particularly in shipping, or
the nature of the impact, such as in an air pollution
episode. Payment is made based on a judgment of
whether the situation was avoidable, whether actions
were prudent in the particular setting, and if the event
were predictable or an ‘act of God’ or a ‘once-in-a-
lifetime’ event.

The sociopolitical decisions and mandates that
come from these find their way into legislation or
standards of procedures as evidenced by aviation
instrument flight rules (IFRs), port regulations for
closure and/or delay/diversion, and the recommenda-
tion (or requirement) that drivers use low-beam
headlights when fog is present. Legal implications
may arise for a farmer who irrigates a crop (for water
or for frost protection) near a roadway and thus
enhances the fog and which results in an accident.
Clearly, liability is one of the reasons for more
conservative decisions on closings, delays, and can-

celations. It will also include those who clear fog at
airports and other locations if they do not meet their
obligations under contract and are taken to court for
damages.

Observations

The most obvious types of observations of fog are its
occurrence, reduction of visibility and/or fog’s ‘thick-
ness’ or ‘intensity’, color (of limited use in reporting),
duration, and extent. Each of these may be assessed
locally at an observation site and regionally using a
collection of sites. The traditional determination of
visibility in fog is based on the ability of a human
observer to see predetermined ground-based targets in
all azimuth directions about their site. Electronic
methods (e.g., transmissometer) have been applied to
roadways, harbors, and aerodrome runways to deter-
mine low visibility in the immediate location of the
sensor. Various methods and instrumentation used to
determine visibility are presented in the visibility
portion of this encyclopedia.
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The occurrence and reduction of visibility are easily
recorded based on human observation, but are often
electronically derived through the use of transmisso-
meters and other instruments (e.g., the ASOS used by
the National Oceanic and Atmospheric Administra-
tion’s National Weather Service as well as airports
around the world) and through remote sensing plat-
forms. The duration and extent are considered
through such platforms as well. The remote sensing
tools also include satellite, radar, and lidar. Satellite
observations (both infrared and visible) can indicate
fog location and extent and infer fog ‘thickness’ in a
manner far superior to a collection of surface obser-
vation sites across a region.Theuse of satellite imagery
is very helpful in completing the depictionof fog extent
and ‘intensity’ for a region. Visible imagery often
shows a sharp-edged boundary between adull gray fog
region, whereas infrared imagery requires a tempera-
ture differencing technique to indicate fog areas. In
either case the ‘strength’ or signal ‘brightness’ shown
by the image is related to its continuous nature (e.g.,
patchy versus widespread) and thickness (strength of
signal) of the fog area.

However, satellite observations have limitations
including minimal temperature contrasts on infrared
imagery and intervening cloud layers on visible
imagery. In addition, satellite observations typically
are not current as processing and dissemination of
images may take an average of 10–45min. In other
words, satellite imagery is of limited value in terms of
prediction of occurrence. Radar, although not a
detector of fog droplets, is useful in identifying
variations in the refractive index within a limited
radius of the radar site. This can be used to infer the
presence, or development, of an inversion and its
height which may indicate potential fog development.
The use of lidar is designed to detect even low
concentrations of small particles and can be used to
resolve fog formation and occurrence within a limited
distance of an observation site.

Definitions

Fog consists of suspended droplets, some of which
may be settling out and/or evaporating, which restrict
visibility and persist for some period of time. Fog may
vary in depth occurring within the lowest meter of the
atmosphere and extending up to 1000m in height.
Occasionally the fog layer may be somewhat elevated
above the surface, particularly during the fog disper-
sion, breakup, or ‘burnoff’ process. For condensation,
the relative humidities of the air do not necessarily
need to be 100% and in fact may be as low as 80–90%
both during and after formation. These conditions are
mostly associated with a temperature-dew point

spread of up to 51F (approximately 31C) and a stable
layer of atmosphere. Although fog occurrence is
relatively rare near or below the melting point of
water, freezing or ice fog is possible. Other definitions
of fog relate the fog’s source and/or method of
formation to its name.

Fog may form in place, be transported from one
location to another, and may form in minutes or over
an hour, depending upon existing conditions. The two
basic processes responsible for formation, as well as
duration, are radiation and advection (which includes
vertical mixing of air). It is based upon these observa-
tions that fog is often referred to as ‘a cloud on the
ground’ and which consists of visible hydrometeors.
However, the fog formation process has important
differences from clouds (including, for example, total
moisture content, droplet size distributions, and
chemical contents). By international definition, fog
occurs (or is significant) when visibility is restricted to
less than 1 km (0.62 miles) and is distinguished from
the occurrence of mist (or drizzle).

Fog droplets range in size because of the various
condensation nuclei with which they form and ac-
cording to their resultant wettability and solubility
(and thus their physicochemical composition). The con-
densation process is best illustrated through Kohler
curves that show droplet radius versus saturation level
(i.e., relative humidity of below or near 100% through
supersaturation of up to 0.5%). As the droplet radius
grows, the saturation vapor pressure decreases and
the environment becomes supersaturated with respect
to the droplet. This allows the maintenance of
droplets in an equilibrium state. Because of these
relationships, maritime nuclei often have very small
droplet radii and thus little need for supersaturation
conditions.

Cited values for fog droplets range from 1 to 65 mm
in diameter with an average diameter of 10–20 mm
most often reported (although some sources state the
range as 20–40). Some observational studies differen-
tiate between small droplet fogs (often maritime in
origin) and larger droplet fogs (more typically conti-
nental). Maritime fogs are often observed to be more
continuous and ‘thick’ due to their smaller droplets
that allow a greater concentration within a parcel of
air. The occurrence of fog with light rain or light
drizzle is not uncommon and typically limits the fog’s
‘thickness’ and duration due to the fall of precipita-
tion, mixing, and wind flow that accompany them.

People tend to characterize fog as thick or shallow,
and some definition of this is found within the WMO
coded synoptic and METAR observations. Fog is
usually distinguished from haze according to visibility
considerations, relative humidity, and content. Haze
and fogmay occur together andhave nearly equivalent
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impacts, but fog’s restriction of visibility typically
predominates. Somewhat by convention, fog ‘thick-
ness’ (or ‘intensity’) is defined according to the
restriction of visibility. Dense fog produces visibilities
of less than 1 km,moderate fog 1 to less than 5 km, and
light fog 5 to less than 11 km.These definitions rely on
sight distance as a surrogate for measurement of
droplet distributions and are exclusive of the occur-
rence of low stratus clouds.

Fog duration and coverage, although observed in
time and space, do not have a generally agreed upon
definition. Fog studies often differentiate between
long-lasting (i.e., several hours) and short-duration
fogs (less than 2 h), and in some cases examine
extended events (i.e., several days). Some studies
consider a minimum one-degree ‘square’ of fog to be
sufficient to depict it as a regional occurrence, with
smaller areas being defined as local coverage events.
Extended events lasting more than a couple of days
include late winter and springtime events in New
England and the mid-Atlantic states as well as winter-
time events over the western US valleys, the Gulf

Coast, central Europe, and the Po Valley in northern
Italy (Figure 2).

Climatologies

Global frequencies of fog are traditionally based on
surface observational data and consider the number of
days on which fog was reported. Few climatologies
focus on the time of day, extent, duration, or intensity
of fog which would make for a useful basis of
worldwide comparison. Fog frequencies tend to be
high in locations where moisture is plentiful (oceanic,
river/lake, and coastal regions as well as humid or
tropical locations) or cooling processes predominate
(mountain–valley locations and ocean currents). As
most frequencies are derived from surface-based
observations, they are necessarily skewed by popula-
tion centers and established habitable regions and thus
fog ‘hotspots’ are only approximations of the true
global occurrence and distribution. It must be noted
that even a region with a low fog frequency is not
immune to the devastating impacts of fog. Some
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regions may experience an average of 100 days
per year with fog while others may only average less
than 10.

Hemisphere has the majority of land-based and
coastal zone fog occurrences given the spread of
continents around the Earth. Many regions in North
America, Europe, India, Africa, and Asia witness
debilitating fog events, some sporadic, others long-
lasting. A variety of climate zones are affected,
including polar, temperate, tropical and even dry to
moist. Locations with the highest frequencies are
found in the vicinity of cold ocean currents and/or
upwelling that stabilizes the atmosphere, provides
local moisture and aerosols, and can cool air quickly –
and do so for a prolonged period of time – to
condensation. For these locations fog may persist
for several days, cover an extensive area, and then
move en masse to another region. These fog regions
may occur any time of day and tend to be more
persistent during the daytime with little diurnal
fluctuations.

The SouthernHemisphere also has a variety of land-
based fog in regions such as South America, Australia,
South Africa, and the Antarctic. As strong winds and
mixing predominate over much of the Southern
Hemisphere oceans, fog regions tend to persist in the
coastal zones (e.g., Chile) and/or over the interior
where terrain varies considerably (e.g., Argentina). In
addition, the tropical rain forest regions provide ample
moisture and sufficient radiational cooling overnight
for the formation of large fog areas. In these cases, the
time of year and time of day vary from the Northern
Hemisphere. Further observations are much more
limited given smaller population bases and/or the lack
of observations or observational equipment in the
Southern Hemisphere. A wide variety of remote
sensing methods and tools have been used to refine
and localize these values but have not as yet provided a
complete view. For example, aerosol climatology
work and cloud climatologies based on satellite and
radar observations can more readily complete the
picture of fog occurrence, and thus frequencies and
climatology, for these parts of the world.

The importance of the foregoing discussion of fog
climatology is that it helps to identify fog-prone
regions, episodic regions, and assist in the forecasting
process. It also aids in the identification of common-
alities of fog formation and thus offers clues as to the
evolution and behavior of fog. Some fog regions tend
to be synoptically enriched or dominated and others
more by boundary layer processes. Each plays a role in
the extent, intensity, and duration of fog and helps
determinewhether fog frequencies are bi- or tri-modal
in time and according to global circulation regimes
(e.g., central North America and the west coast of

South America as related to El Niño and La Niña
phenomena).

Location

A closer look at the common features of fog-prone
areas of the world provides a basic breakdown of
maritimepolar climates,Mediterranean climates (e.g.,
France), and mountain/valley climates (e.g., Chile).
Although fog is alsomore likely to occur in the vicinity
of water sources such as ocean currents and river
valleys andwarmwater springs (e.g., in cold climates),
it may also be found in desert climates (e.g., Africa and
Australia). Radiational influences are maximized in
these desert regions as well as in valley or plateau
regions around the world (e.g., China and Mexico).
When advective influences predominate (such as
Newfoundland), various lifting and cooling processes
are more important. In addition, the intermediary
zone between ocean and land also plays a significant
role in the extent, intensity, and duration of fog.

Various combinations of these lead many to classify
fogs anddevelop a list of fog types thatmay occur. This
allows us to distinguish between the climatic predom-
inance of fog in some regions versus its origins, and
according to the prevailing synoptic flow in real time.
Clearly, this does not imply that other places do not
receive fog or that it is unimportant. It does provide a
context inwhich the scale of fog occurrence and extent
may be considered. These include synoptic-scale
features (e.g., high pressure), mesoscale variations
(e.g., in moisture distributions), and microscale (and
at timesmesoscale) features that affect the occurrence,
extent, intensity, and duration of fog (Figure 3).

Scale

The role of synoptic versus mesoscale and microscale
variations is best understood through examination of
a site-specific climatology. However, this is less prac-
tical – and less informative – when the same principles
are applied to a collection of sites. Instead it is best to
examine the patterns and/or fluxes that are important
at each scale to explore the characteristics of fog.
These are also of use in the identification of fog
precursors which improve our understanding and
prediction of fog formation, extent, intensity, and
duration.

Synoptic-scale features include high- and low-pres-
sure areas (with/without rain or recent rainfall),
locations ahead of a warm front, the warm sector,
and behind a cold front. In the simplest case, high
pressure and sufficient near-surface moisture com-
bined with overnight cooling produce fog as radiative
processes dominate. In the case of low-pressure
systems and frontal regions, some advective and
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radiative processes will dominate. Fog occurrence is
possible, whether inclusive of precipitation-induced
and/or cooling effects. The surface character, over
which these features pass, then acts to promote or
moderate the cooling and/or lift. These include
upslope flow, cold ground (or frozen or snow or ice
cover), and vegetative contributions (in terms of
additional moisture in the local boundary layer).

Mesoscale variations modify the imposed synoptic
conditions and may grow with time to be more
significant if synoptic flow becomes stagnant (e.g.,
autumn) or blocked (e.g., spring) or simply ‘vanishes’
(e.g., low latitudes). Mesoscale variations in physiog-
raphy and weather conditions are obvious in areas
such as San Francisco, Death Valley, Salt Lake City,
and the Pacific Northwest (in the United States, West
Coast) and make a great deal of difference in
forecasting the location, duration, and intensity of
fog. These variations are further complicated by the
complexity of possibilities on the microscale where
boundary layer processes dominate. These tend to be
critical in identifying the precise locationof formation,
timing, intensity, and duration. It is also critical with
regard to the microphysical aspects that involve
aerosols. This immediately distinguishes between
maritime and continental concentrations and types
of fog droplets as previously described.

Formation Mechanisms

Fog formation requires a variety of factors in different
combinations. Essential to fog formation are sufficient
moisture and the process of cooling and/or lifting
(inclusive of mixing). This gives us three basic ‘types’
of fog: radiational (cooling), advective (cooling and/or
lifting), and combinatorial (cooling and lifting, or
mixing). These may occur in several ways from the
synoptic to the local scale, as has been illustrated by
the different climates around the world which expe-
rience fog. The more critical factor in the atmosphere
is the presence of sufficient moisture, in terms of total
amount and depth, and its horizontal distribution.
Sufficient moisture may also be achieved by increasing
its ‘effectiveness’, in other words, making use of the
moisture present and realizing it through cooling
and/or lifting processes to cause condensation. In each
case, despite synoptic influences, moisture and its
realization is very much a function of mesoscale and
microscale conditions and variations.

In addition to moisture and cooling/lifting mecha-
nisms, fogs are observed to be associated with an
inherently stable atmosphere. This stability may
precede or occur after fog formation and often
increases with the advent of fog. Even fog that is
associated with strong winds, as is the case with some

advective fogs, occurs in relatively stable layers of the
boundary layer. Other relevant factors in fog forma-
tion which may be considered as secondary in nature
(yet significant in the prediction of fog) include cloud
microphysics, the vertical and horizontal distribution
of temperature and moisture, orographic effects,
sources and sinks of moisture and heat, and land use
and/or surface conditions (Figure 4).

Cooling

There are several means of cooling an air mass, or
parcel of air, that may lead to fog formation. Themost
obvious and most prevalent (even in the presence of
cloud cover) is the diurnal loss of heat by the Earth’s
surface (i.e., radiational cooling).Othermeans include
the cooling of an air mass from below, adiabatic
cooling (or mixing), the cooling of an air mass itself
due to radiational release, and the evaporational
cooling of air due to precipitation through a dry air
layer whichmay induce cooling to saturation and thus
result in fog. Depending on the location, time of year,
and moisture availability, these cooling mechanisms
may lead to fog formation with varying persistence
and of varying extent and intensity.

Radiational cooling is primarily diurnal in nature
and is maximized overnight and during the early
morning hours, with minimum air and surface tem-
peratures often occurring at or near sunrise. Although
the diurnal cooling process occurs year-round, it is
favored during both dry and cold seasons of the year
when low-level moisture may be sufficient, relatively
undisturbed, and the cooling period lengthy. The
dryness of the atmosphere is most typically observed
above the boundary layer and allows great radiational
losses through an open atmospheric window, even in
the presence of middle- or high-level clouds. Radia-
tional fogs may be brief in duration (e.g., less than 1 h)
or may last several hours. The depth and intensity of
these fog events is a function of the cooling time,
extent, and amount of moisture available. It is not
unusual for such fogs to initiate dew deposition.

The other means of cooling are of varying impor-
tance to fog formation and duration. For example, the
cooling of an air mass from below is favored in
locations and seasons in which the active surface layer
is frozen and/or snow covered orwhen it experiences a
greater albedo (e.g., fallow versus the vegetative
growing season). Such fogs may form and persist for
hours or days at a time and cover a relatively large area
with significant intensity. Adiabatic cooling of air is
related to liftingmechanisms and therefore considered
in the next section. The cooling of an airmass itself due
to radiational release is typically a very slow process
and likely to be an important factor for persistent fogs
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(e.g., sea fogs). The extent may be great but the
internal variations in coverage and intensity are large
given the interactions between the air mass and the
underlying surface features. Evaporational cooling
caused by showery precipitation falling through a
layer of dry air may be sufficient to lead to saturation
and fog, but is typically of short duration and of
limited intensity. In the case of a synoptic-scale warm
front, such fog may form and persist for several days
and become quite extensive and intense with minimal
local variations.

Lifting

The second basic means of cooling air to achieve or
sustain fog formation, or for realizing the effectiveness
of the moisture present in a parcel of air, is through
various lifting mechanisms. These include orographic
lift, frontal lift, adiabatic ascent, and mixing. In many
cases, these processes involve advection and thus give
rise to advective fog formation and transport. Al-
though this implies that there are many lifting situa-
tions in which fog may form, it is clear that most of

these situations involve slow vertical lifting over large
horizontal distances or the relatively slow and shallow
vertical mixing of two distinct air masses in the
boundary layer. In the former case, long-lasting,
extensive, and intense fogs may be expected whereas
in the latter short term, shallow, and patchy fog of
varying intensity occur.

Slow vertical lift due to an upslope wind flow,
parallel with the elevation gradient, will result in
discrete levels of cooling and saturation with increas-
ing distance and transport. Although this process may
be slow in the initial formation of fog depending upon
the amount of moisture available in the air mass (e.g.,
several hours to nearly 24 h), it is a resilient process
that can produce extended events of widespread dense
fog (i.e., up to several days are possible). Similarly,
frontal liftingmayproduce similar conditions andmay
persist for some time dependent upon the rapidity of
changes in synoptic features. Frontal lift is more
commonly warm in nature but may involve cold
frontal surfaces which are of lesser slope than a typical
cold front. In both orographic and frontal cases, the
formation, duration, extent, and intensity of fog

Cooling

Mixing

Cooling

Mixing

Lifting

Cooling

Other factors
• Wind
• Stability
• Horizontal/vertical temperature

and moisture
• Synoptic features
• Orographic features
• Source/sink moisture and heat
• Land use
• Surface conditions
• Cloud microphysics

Figure 4 Fog formation mechanisms.
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events is also a function of the underlying surface and
its interactionwith the lifted air. For example, the flow
of warm and moist air across frozen or snow-covered
ground – or simply upslope – increases the depth,
intensity, extent, and duration of fog.

This last process is an important aspect and illus-
trates how two diverse air masses, initially unsaturat-
ed, may mix to form a saturated air mass. The use of
saturation vapor pressure curves can be made to
compare air mass properties as a function of their
vapor pressures versus the absolute saturation vapor
pressure for various temperatures and pressures.
When a cool, and relatively lower vapor pressure, air
mass combines with a warm air mass with higher
vapor pressure, their mixing results in saturation. This
may be seen by plotting the original vapor pressures at
the individual air mass temperatures and connecting
the two points with a straight line. When the line
crosses the saturation vapor pressure curve, the two
mixed air masses will form a saturated air mass. The
manner inwhich these two airmasses combinemay be
through isobaric mixing or weak adiabatic mixing.

Lift that involves the adiabatic ascent andmixing of
air is greatly dependent upon the existing boundary
layer which evolves during the mixing process to
produce fog. Although of limited extent, turbulent
mixing through adiabatic ascent can result in fog
formation which is typically of very short duration
(i.e., less than a few hours), limited depth (e.g., ground
fog), and highly variable in coverage and intensity.
Such fogs may occur preceding and following the
passage of weak cold fronts with limited pressure and
air mass differences, and often following the passage
of scattered showers or light rain, and take place in a
conditionally stable boundary layer. These fogs tend to
be infrequent and of short duration as the dynamics
are more likely to lead to low cloud (and ceiling)
formation with drizzle. However, in some cases they
may persist and thicken over regions as the frontal
boundary decays and/or becomes stationary. The
processes of adiabatic ascent and mixing also play a
role in the formation of Arctic Sea Smoke and other
fogs in which the heat flux is rapid and results from a
temperature differential rather than a period of
radiational cooling.

Lifting and Cooling

Based on the preceding discussion, it is clear that there
are many possible combinations which may produce
fog. It is therefore understandable why so many ‘fog
types’ occur in the literature and are studied around
the world. For the same reason, it is clear that these
possibilities raise the question ofwhether fog is readily
predicted and whether one type is readily identified

over another or whether one type may evolve into
another. Since the orographic and frontal lifting
processes are typically a gradual cooling process over
long distances whereas the radiational cooling process
is gradual over time and specific to a location, it is
reasonable to consider various combination fogs in the
same manner. It is also reasonable to incorporate the
effects of cloud microphysics, the vertical and hori-
zontal distribution of temperature and moisture,
sources and sinks of moisture and heat, and land use
and/or surface conditions.

For example, given the features described above, the
longest-lasting, most intense, deepest, and potentially
most widespread fogs may occur near a coastal region
with a moist onshore flow in the vicinity of a warm
frontal (or topographic) or quasi-stationary boundary.
This would be further enhanced or favored if the flow
ofmoisturewere sustained, the ground frozenor snow-
covered (and thus the source of cooling maintained),
and it was the cool season time of year. The formation
and advection of sea fog tends to meet these criteria to
varying degrees around the world and create some of
the foggiest regions known.Regardlessof origin, that is
whether the sea fog formed first through radiational
cooling or other cooling and lifting processes, it is clear
that a variety of factors produce and sustain fog. This is
verified by observation of the movement of fog areas
and their passage from water to land.

Microphysical and Other Aspects

Although the identification of cooling and lifting
mechanisms is significant with regard to the conden-
sation process for fog formation, alone they are
insufficient if not considered with regard to the
nucleation process. A knowledge of drop size distri-
butions, condensation nuclei associated with fog
droplets, local nuclei populations, and the resulting
atmospheric chemistry are significant with regard to
the occurrence, extent, intensity, and duration of fog
events. Depending upon the population of condensa-
tion nuclei, the initiation of fog droplet formation, and
the actual drop size distribution, fog developmentmay
occur within 5–15% of the saturation value of an air
mass (haze is typically within 35%). The role of nuclei
is determined by ‘how active’ they are in encouraging
or discouraging the process of condensation (i.e., how
hygroscopic or hydrophobic). The presence of con-
densation nuclei may be local in origin, advected, or
the result of both processes and is significant when fog
is considered in combination with smoke and pollut-
ants. The ‘proper’ combination of nuclei can lead to
long-lasting and devastating fog events.

For example, there are a number of well-known
cases in which fog combined with, and its formation
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was aided by, industrial emissions. These created
unhealthy and dangerous air quality and low visibili-
ties over several hours (and even days), causing death,
illness, injury, and accidental losses. These can be
further modified according to the location in which
they occur. For example, marine environments typi-
cally produce a large number of small droplets
whereas continental locations are characterized by
large droplets. In marine environments then it is clear
that while haze is favored in the daytime (and salt
nuclei) and a high moisture source with mixing, fog
may still occur if these conditions are overcome (e.g.,
at night by cooling and with the introduction of
smaller droplets).

Regardless of the limitations to droplet size by the
concentrations of nuclei, it is the actual droplet
concentration that determines a fog’s opacity – and
that is often referred to as a fog’s intensity or thickness
(or severity). Because of this the lowest visibilities in
fog events are associated with high concentrations of
small droplets. Thus again a wide variety of fog
formations are possible, particularly when consider-
ing the cooling and/or lifting processes and when
considering the location, transport, and interactions of
various nuclei across a coastal zone.

The ‘Family of Fogs’

The foregoing discussion thus provides a ‘family of
fogs’ in terms of formation, extent, duration, and
intensity which may be enveloped in a conceptual
model of fog dynamics. Although similar inmanner to
the conceptualizations of air mass thunderstorm to
supercell, or mesocyclone to wave cyclone, or various
levels of sea/land-breeze model conceptualizations,
the family of fogs is, at the moment, quite elusive.
Although generous amounts of research have been
accomplished and numerous modeling studies com-
pleted to reveal more explicitly the cooling and lifting
processes that may produce fog, they are as yet
incomplete. They do not incorporate adequately the
atmospheric chemistry and associated microphysics
that are significant to the fog process and are poorly
understood and not routinely observed. There is also a
need to consider the interactions and interface be-
tween the underlying surface overwhich fog forms and
these microphysical aspects of chemical and physical
behaviors.

Fog Dynamics

Given the basic knowledge of fog formation mecha-
nisms (or occurrence), and some knowledge of micro-
physical aspects, it is possible to explore the dynamic
processes involved and how they relate to fog intensity

(or thickness), extent (or coverage), and duration.
These are predominantly radiative processes as lifting
mechanisms are essentially cooling processes as well.
It is assumed that if the proper combination of factors
exists, and that moisture is available in sufficient
quantity and/or its effectiveness can be realized, fog
formation is possible. Adequate moisture is provided
through local evaporative fluxes, advective delivery, or
evaporation of falling precipitation. Ideally these are
all quantified operationally (whether modeled, ob-
served, or forecast) tomake a precise determination of
fog occurrence, intensity, extent, and duration.

Radiative Considerations – Formation
and Growth

Rapid cooling, but with limited mixing, is best
accomplished through radiative heat loss by the
surface and by an air mass that is predominantly static
in nature and predisposed to stability. These condi-
tions are favorable to the potential for fog formation,
assuming sufficient cooling occurs and sufficient
moisture is available (or its effectiveness realized).
Commonly, such conditions are associated with clear
(and sometimes dry) air, light winds, and subsidence.
However, radiative cooling does occur in the presence
of cloud cover andmay be enhanced or reduced by the
active surface overwhich air is present. Each of these is
maximizedwithin high-pressure areaswhenwinds are
near calm, the boundary layer is moist, and the mid-
and upper layers of the atmosphere are very dry with
strong subsidence. These conditions can produce
widespread, intense, and long-lasting fog. Less opti-
mal conditions (e.g., those present in the midst of a
weak low-pressure centerwith little pressure gradient)
may also produce fog that is of limited extent,
intensity, and duration.

Although radiative and advective process has been
initiated, the lowest portion of the boundary layer
nearest the ground becomes the coolest and thus
creates amicroscale inversion. This inversion grows in
tandem with the rate of cooling and the net cooling
over time and, as the air reaches saturation, may lead
to fog formation. As the cooling process continues, the
inversion layer grows deeper and fog may grow or
develop upwards with time to several meters within a
fewhours. At this point the presence of fog itself begins
to feed back into the radiative balance aswarmth from
the surface may be absorbed by the droplets and the
rate of cooling slowed. In addition, the upper portion
of the forming fog and the fog layer itself continue to
cool, thus strengthening the inversion, while some
deposition and/or reevaporationof fog droplets occurs
nearer the surface. Often at this stage the radiative
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processes immediately at the ground have slowed,
become less important, and reach a temporary equi-
librium inwhich temperature andmoisture conditions
remain nearly constant.

Although these processes dominate in a general
sense, they are complicated by the nature of the surface
over which air lies (e.g., soil type), land use and cover,
heat and moisture sources, and vehicular and other
traffic that create local turbulence. It is the combina-
tion of these factors that dictates the areal extent and
initial intensity of fog and that accounts for variations
as the fog persists. Sand and clay soils radiate at
different intensities and thus can contribute to fog
formation at different rates. In the simplest case, the
ground surface may be conducting heat from subsur-
face layers and thus eroding fog formation from the
bottom after its initiation. The surface may also be
considered active if wet or dry, vegetated or barren,
paved or natural, and frozen or snow-covered. In the
case of a wet ground, more moisture and enhanced
radiative cooling are possible. For a frozen surface
there is a strong limitation on the radiative cooling of
the ground and a strong enhancement of the cooling of
the air itself. In the case of an asphalt or concrete
roadway, the radiative rates may favor more rapid fog
formation whereas vehicular flow (and turbulence)
may discourage or disperse it.

Duration and Extent

As the radiative cooling persists, the fog layer may
grow vertically and horizontally with time. In partic-
ular, it is not unusual for the fog on the surface to
diminish with time, through deposition (dew or frost)
and weak induced convective mixing, giving the
appearance of a lifting fog. In this process, the
moisture content and subsequently the dew point are
decreased within the lowest portion of the fog layer
andmay allow for further radiative cooling and fog re-
formation. Thus some fogs appear to vary in their
occurrence, depth, and intensity with time. More
importantly, the middle and upper portions of the fog
layer are now the most ‘active’ in terms of their
behavior. In particular, these layers continue to cool,
resulting in an upward expanse of the fog, and thus the
inversion layer, and therefore become somewhat
independent of the surface over which they lie.

The horizontal formation and spread of the fog,
initially a function of the radiative properties of the
surface over which the air is found and which account
for the often patchy nature of fog formation, now
becomes a function of weak circulations or turbulence
above the ground. In the presence of high pressure and
light winds, this may create a fairly uniform fog in
terms of intensity and duration. For a weak low-

pressure system, or perhaps in advance of a warm
frontal boundary, both in the presence of light winds,
thismay create large variations in fog extent, intensity,
and durations with frequent and rapid variations.
These conditions also imply slow transport of a fog
layer andmodification as the fog travels across varying
terrain and surfaces and as it encounters variations in
condensation nuclei. Modifications include other
cooling processes, such as orographic lift, which may
reduce or enhance fog formation, maintenance, and
growth. For example, a fog that develops in the
vicinity of weak low pressure may move upslope in
response to a weak pressure gradient and either
precipitate out or intensify and deepen. The same fog
may encounter an industrial area with a variety of
nuclei, which may lead to changes in the drop size
distributions and either accelerate or defer fog forma-
tion.

Intensity

Once fog has formed, persisted, and grown, the
intensity or thickness of the fog is of greater practical
significance. Fog intensity is a function of the concen-
tration of small and large drops in terms of their ability
to reduce visibility to less than 1 km. When fog is in
place, there is a certain amount of droplet settling and
separation with time while cooling and condensation
occur at fog top and dissipation and deposition at fog
bottom (in many cases). While this process is effective
in maintaining fog, it is also effective in stratifying the
fog layer and generating variations in intensity. In
these situations the middle and upper fog layers
become the most opaque and thus the most difficult
to navigate in terms of transportation. These effects
may be negated to some extent given a greater degree
of turbulent mixing or the presence or introduction of
wind flow (and thus entrainment) near the top of the
fog layer.

In addition, the characteristics of condensation
nuclei, can lead to varying intensities. For example, a
variety of pollution-enhanced fogs owe their extreme-
ly low visibilities to specific chemical species. These
encouraged fog formation prior to saturation, reduced
the amount of deposition, and created amore uniform
drop size distribution often characterized by its color
or smell.

Dissipation

The dissipation of fog, is a function of the processes
that act against cooling and condensational effects
previously discussed. Therefore dissipation may be
considered in terms of the ‘prevention’ of the processes
that favor formation and growth, duration and extent,
and intensity. Many of these processes may reduce or

FOG 789



eliminate fog within less than 1 h without contraven-
tion, but more typically require several hours to
overcome the inertial presence of the fog layer as
well as any underlying or continuing fog formation
processes. Usually visibility improvements occur
within the first hour or two as dissipation processes
become dominant. Fog dissipation is typically longer
in valley and coastal regions and during the cool
season and over cold waters – and in some cases may
not occur.

The effects of cooling are mitigated or overcome
through direct solar heating of the ground surface (or
potentially the heating of fog droplets and the air layer
in which the fog is found, but this is of minimal
significance) and the destruction of a stratified or
inversion layer through turbulentmixing. Thuswarm-
ing and mixing are vital to dissipate fog and may be
accomplished through a variety of frontal or convec-
tive processes. This dissipationwill bemost effective at
the bottom and top of the fog layer and around the
edges of the fog area where the air is not near
saturation. Thus fog is said to ‘burn off’ or ‘lift’ and
‘shrink’ with time. The pace of dissipation, which will
be greater under an imposed pressure gradient and
during the warm season, may last a few hours.

Prediction

The fog process is quite dynamic and requires a great
deal of physical knowledge and observation to be
understood completely and predicted successfully. In
practice however, this is difficult given the limited
nature of our present understandingof fog and the lack
of real-time observation, quantification, andmodeling
of the chemical and microphysical behaviors that are
involved. This is made more difficult by the lack of
precise observation and modeling of the detailed
surface characteristics, the distribution of moisture,
temperature, and their interaction. However, if the
conceptual model of a family of fogs based on the
principles previously described is applied, the chances
for improved fog prediction may be increased. Ulti-
mately even a microscale observation network would
not be dense enough to provide essential details to
improve prediction. Instead the further application
and refinement of remote sensing tools and numerical
modeling will be necessary to better forecast fog
occurrence, extent, intensity, and duration in a wide
variety of circumstances.

Current forecast practices for fog include climato-
logical approaches, numerical guidance, observation-
al methods, modeling, and other methods (e.g.,
statistical or decision-tree methods and Artificial
Intelligence – or Expert Systems). Common to each

of these is the recognition of those processes and
factors important to fog formation including cooling,
lifting, and mixing (cooling and lifting) mechanisms;
surface and air mass moisture and characteristics; and
the chemical and physical behavior associated with
fog droplets. Some of these are summarized by many
authors and researchers according to a list of factors
such as the prior existence of fog, precipitation areas,
soil moisture and cover, temperature and stability,
boundary layer variations, orographic contributions,
the synoptic setting and flow regime, vertical and
horizontal wind flows, cloud cover, and advection.
Regardless of the list, it is essential to consider the
synoptic-dynamic regime as it determines the charac-
ter of the boundary layer – and how that changes with
time – to predict adequately fog occurrence, extent,
intensity, and duration.

Climatological

One traditional means of fog prediction is based on
climatological considerations. This approach, al-
though location specific, is a reasonable first approx-
imation in identifying and summarizing the factors
which produce fog in a given region. Typical climatol-
ogies assess fog frequencies according to the time of
day and year (or by season), intensity, duration, and
sometimes according to fog occurrence at multiple
sites. Unfortunately, the climatological approach
tends to oversimplify fog prediction by categorizing
events as fog ‘types’ with little regard to fog evolution.
In addition, the results are biased for the site at which
the climatology is based and can thus lead to predic-
tions of no fog for a region which may fail.

The use of conditional climatology adds some value
beyond simple climatology in that persistence and
contributing factors associatedwith a fog event can be
anticipated. Yet this approach is also limited in that it
does not address fog dynamics adequately and relies
heavily upon the data available. In total a forecaster
may be able to assimilate climatological information
and estimate local variations with some experience
for a region, but the process is pragmatic rather
than scientific and is only slightly more skillful.
Climatological predictions have only limited antici-
patory value: knowing the types of situations that
favor fog.

Numerical Guidance

Another approach to fog forecasting is through the use
of numerical guidance, both raw and processed. Raw
data from an operational model may be plotted or
examined across a region and yield specific informa-
tion with regard to moisture and cooling with regard
to fog formation.However,model output has a variety
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of errors, is often available in only limited time and
space resolution, and typically does not adequately
depict the boundary layer structure or behavior.When
the raw data are processed to produce graphical and
diagnostic analyses, surface and boundary layer plots,
or to generate statistical forecast guidance, it is of
much greater value. The graphical diagnosis of the
local environment according to model output is useful
in better identifying regions potentially favored for fog
development (e.g.,moisturemaxima, cool air pockets)
and thus can aid a forecaster in refining a prediction of
occurrence and extent. This provides a mesoscale
prediction which can be partially verified through
surface observations and satellite imagery.

When used to generate statistical guidance, model
output helps a forecaster assess the confidence level of
fog formation and extent and allows some speculation
as to its intensity and duration. This guidance makes
use of both current observations and model predic-
tions. For operational models with output statistics
from12 to 60 h into the future, there is some predictive
value and skill improvement over climatology in the
anticipationof fog.However,most statistical guidance
used in this manner is derived from regression
relations that show current observations (or simply
persistence) to be the most important factor in fog
prediction. Thus numerical guidance is of best value in
anticipating fog during the first several hours, or
anticipating the synoptic setting conducive to fog
several days in advance.

Observational

The observational approach to fog prediction is
extremely limited in an anticipatory sense, but tends
to have the greatest skill in terms of fog extent,
intensity, duration, and ultimate dissipation. This
means that a forecaster has synthesized the prevailing
synoptic environment and its interactions with the
boundary layer to understand why fog is present (or
expected) and why it will continue to persist or
dissipate. Essentially a forecaster in this situation has
developed and applied a conceptual model frame-
work, based on theory, knowledge, and experience
which provides specification that no other current
method can match. The observational approach
involves a wide synthesis of sensible surface weather
elements, middle and upper atmospheric data and
analyses, and a review of satellite (and perhaps even
radar) images. Practical application of radiative laws
and parcel theory through the use of sounding
diagrams (e.g., a skew-T chart, and even isentropic
analysis) allow a forecaster to ‘run’ a conceptual
model of fog and to make a successful prediction.

Modeling

Many modeling efforts have been made to simulate as
well as to produce a fog environment and fog droplets.
Presently, no operational model is capable of com-
pletely generating these in real time for predictive use.
Modeling has more recently focused on drop size
distributions, deposition, and re-creation of the fog
environment as well as the physical representation of
fog and the fog process. Limited studies, including
statistical prediction, have focused on the prediction of
the visibility restrictions of fog. The First International
Conference on Fog and Fog Collection is indicative of
the new and renewed importance of fog study.

Much work is now focused on collection tech-
niques, particularly with regard to fog chemistry and
its impacts with regard to vegetation. In this regard,
fog modeling has served as an extension of agro-
meteorological and climatological study as well as
micrometeorology and cloud physics. Some profes-
sional consultants and companies now offer fog
forecast products, and even assessments, many of
which focus on predicting the occurrence and intensity
of fog for a specified location. A variety of other
methods, including statistical or decision-tree meth-
ods and Artificial Intelligence (or Expert Systems),
have found usefulness in the study of fog.

Benefits, Mitigation, and Special
Cases

Although a variety of severe impacts have occurred
with fog events around the world, efforts to mitigate
these impacts have been of limited success in part due
to the nature of human response (e.g., driving more
slowly through fog). However, fog has also yielded
some beneficial effects in terms of esthetics and
agricultural application. Fog has also been the subject
of literature and film and often accompanies the
depiction of paranormal and Halloween activities.
Fog systems are used routinely to create fog and other
special effects by the film industry. There has even been
a survey that found 28% of people engaged in sexual
relations more than once when it was foggy as
compared with only 11%who did when it was sunny.

Several facets of fog illustrate how its significance
extends beyond a simple reduction in visibility. For
example, fog water use for deposition collection is
critical to agricultural operations in Chile, Mexico,
and other regions of the world. Fog water may be of
use in providing a potable water supply for others.
Most often fog water is collected for agricultural
applications and has been studied with regard to its
effects on the growth of giant Redwood trees in
California (USA). Study also indicates that fog may
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play a significant role in the physical interactions
found within plant canopies and their physiological
and growth conditions. These are also related to fog
water pH and the production of acid fogs. These and
other issues are being explored through various studies
around the world.

There also exist programs and methods for the
dispersion, or enhancement, of fog – particularly at
airport locations – and the reduction of acid fogs. The
basic methods tend to focus on heating of the fog layer
(to evaporate droplets), downwash mixing (to entrain
drier air), hygroscopic treatment (e.g., ice seeding) to
precipitate out, and the use of fog breaks (passive
control) to prevent formation or movement into an
area. The most effective methods tend to be those that
match the natural dissipative factors (i.e., mixing and
evaporation) and that promote improved visibility
within an hour. Unfortunately most techniques are
costly, labor intensive, esthetically intrusive, and must
be maintained until natural processes are capable of
continuing dissipation (often for at least several
hours). These measures are also impractical for
roadways and therefore drivers instead rely on vehicle
fog lights and fog-free lenses or shields. The enhance-
ment of fog, although seemingly undesirable, is an
industry with commercial application for party sup-
pliers and movie studios.

See also

Agricultural Meteorology and Climatology. Air–Sea
Interaction: Freshwater Flux; Gas Exchange; Momen-
tum, Heat and Vapor Fluxes; Sea Surface Temperature;
Storm Surges; Surface Waves. Anticyclones. Arctic
Haze. Aviation Weather Hazards. Boundary Layers:
Coherent Structures; Complex Terrain; Convective Bound-
ary Layer; Modeling and Parameterization; Neutrally Strat-
ified Boundary Layer; Observational Techniques In Situ;
Observational Techniques–remote; Ocean Mixed Layer;
Overview;StablyStratifiedBoundary Layer; Surface Layer.
Chemistry of the Atmosphere: Chemical Kinetics; Gas
Phase Reactions; Ion Chemistry; Laboratory Studies;
Principles of Chemical Change.CloudChemistry.Cloud
Microphysics. Coastal Meteorology. Deposition. Di-
urnal Cycle. Humidity Variables. Hydrology: Ground
and Surface Water; Modeling and Prediction; Overview.
IsentropicAnalysis.Land–Atmosphere Interactions:
Canopy Processes; Overview; Trace Gas Exchange.
Lidar: Atmospheric Sounding Introduction; Backscatter;
DIAL; Doppler; Raman; Resonance. Mesoscale Mete-
orology: Overview. Microclimate. Numerical Models:
Chemistry Models; Methods. Observation Platforms:

Balloons; Buoys; Kites; Rockets. Observations for
Chemistry (In Situ): Chemiluminescent Techniques;
Gas Chromatography; Ozone Sondes; Particles; Reso-
nanceFluorescence;WaterVaporSondes.Observations
for Chemistry (Remote Sensing): IR/FIR; Lidar; Micro-
wave.Operational Meteorology.Orographic Effects:
Lee Cyclogenesis; Mountain Waves and Stratospheric
Chemistry. Parameterization of Physical Processes:
Clouds. Radar: Incoherent Scatter Radar; MST and ST
Radars and Wind Profilers; Precipitation Radar; Synthetic
Aperture Radar (Land Surface Applications). Radiative
Transfer: Absorption and Thermal Emission; Cloud-ra-
diative Processes; Non-local Thermodynamic Equilibrium;
Scattering. Satellite Remote Sensing: Aerosol Meas-
urements. Static Stability. Synoptic Meteorology:
Forecasting; Weather Maps. Thermodynamics: Moist
(Unsaturated) Air; Saturated Adiabatic Processes. Turbu-
lence and Mixing. Turbulent Diffusion. Weather
Modification: Inadvertant. Weather Prediction: Adap-
tiveObservations;DataAssimilation; EnsemblePrediction;
Regional Prediction Models; Seasonal and Interannual
Weather Prediction; Severe Weather Forecasting. Wind
Chill.

Further Reading

Anderson JR (1985) Economic impacts. In: Houghton DD
(ed.) Handbook of Applied Meteorology. New York:
Wiley.

Air Weather Service (1979) General Aspects of Fog and
Stratus Forecasting. USAF AWS TR 239.

Croft PJ, Pfost R, Medlin J, and Johnson G (1997) Fog
forecasting for the Southern Region: a conceptual model
approach. Weather Forecasting 12: 545–556.

Eagleman JR (1991) Air Pollution Meteorology. Trimedia
Publishing Company.

George JJ (1960)Weather Forecasting for Aeronautics. New
York: Academic Press.

Houze RA Jr (1993)CloudDynamics. NewYork: Academic
Press.

Mason J (1982) Physics of radiation fog. Journal of the
Meteorological Society of Japan 60: 486–499.

Mayer WD and Rao GV (1999) Radiation fog prediction
using a simple numerical model. Pure and Applied
Geophysics, in press.

Schemenauer RS and Bridgman H (ed.) (1998) Proceedings
of the First International Conference on Fog and
Fog Collection, 19–24 July 1998, Vancouver, British
Columbia, Canada.

Online reference sources

http://meted.ucar.edu (COMETModule Radiation Fog)
http://www.cco.net/Btrufax/fluoride/fog.html

792 FOG



FORENSIC METEOROLOGY

L E Branscome, Climatological Consulting
Corporation, Palm Beach Gardens, Florida, USA

Copyright 2003 Elsevier Science Ltd. All Rights Reserved.

Introduction

Forensic meteorology is the study of past weather
events for the primary purpose of assisting a court of
law in adjudicating disputes in which weather may
have been a factor. The task of a forensicmeteorologist
is to diligently investigate the weather conditions
pertinent to the litigationandobjectively present to the
court the most accurate description possible of the
relevant meteorological events. Expert testimony by a
meteorologist often provides crucial information in
various types of civil and criminal proceedings.

Civil litigation is often initiated when a personal
injury or financial loss occurs, or when a contractual
dispute cannot be resolved. In many cases the weather
is a contributing factor, or even the primary cause of
the loss or dispute. For example, weather frequently
contributes to maritime cargo losses, aircraft and
highway accidents, property damage, construction
delays, air pollution emergencies, slip and fall injuries,
and structural failures. The party sustaining the loss or
injury may seek compensation through the legal
system from another party who is alleged to be
responsible for the incident. A judge, jury, or other
adjudicative body must determine the facts of the case
andmake a decision in favor of one of the parties in the
litigation, either the plaintiff or the defendant. If the
weather was a factor in the incident or dispute on
which the lawsuit is based, then expert testimony
about theweather conditions relevant to the casemust
be presented to the adjudicative body in a courtroom
or other judicial setting. Meteorological analysis and
testimony are sometimes necessary simply to rule out
weather as a contributing factor. Together with other
facts, testimony, opinions, exhibits, and evidence, the
adjudicative body considers the relevant weather
evidence and opinions in making its determination.

In addition to civil litigation, testimony about the
weather is occasionally required in criminal proceed-
ings. For example, the ability of an eyewitness to
identify an alleged assailant in low natural lighting is
occasionally an issue in criminal trials. In such cases a
meteorologist may be called to testify about the sky
conditions, phase of the moon, or sunrise and sunset
times. Other criminal proceedings have depended on
meteorological analysis and testimony as it relates to
the decomposition of the bodies ofmurder victims, the

transport of odors from illegal drugs, the death of
children trapped inside motor vehicles exposed to
intense sunlight, and various types of criminal negli-
gence.

In a broader sense, the work of a forensic meteoro-
logist is not necessarily limited to civil litigation and
criminal prosecutions. For example, a windstorm that
causes property damage may result in a claims dispute
between an insured party and its insurer. A meteorol-
ogist may be hired by one of the parties in the dispute
to ascertain the peakwind speed during the storm. The
conclusions of the meteorologist may be sufficient to
allow the client to make a determination about the
claim and settle the dispute with the opposing party,
thus avoiding the effort and expense of a lawsuit.
Similarly, a forensic meteorologist may be hired to
provide information and expert opinion about past
weather events to parties involved in administrative or
regulatory disputes with government agencies.

The Practice of Forensic Meteorology

General Procedures and Considerations

Technical experts are often retained by attorneys
representing the parties involved in a lawsuit. The
immediate purpose of retaining a meteorologist is to
obtain information and expert opinion about the
weather conditions so that the attorney can evaluate,
with assistance from the expert, the importance of
weather to the case. The attorney will consider how
the weather facts and opinions may support or refute
theories for the causation of the loss that led to the
litigation. If the meteorological information and
opinions are relevant and helpful, the weather expert
may be asked by the attorney to prepare a formal
report, evaluate the reports and opinions of the
meteorologist (if any) working for the opposing legal
counsel, assist the attorney in evaluating the merits
and demerits of the case from a technical perspective,
develop exhibits for presentation at trial, and provide
expert testimony and opinions at deposition and trial.

The expert investigating and testifying about the
weather should be a meteorologist with sufficient
knowledge, skill, experience, and education to offer an
opinion about the particular weather conditions
related to the litigation. Although meteorologists are
not usually granted professional licenses like engineers
or architects, the American Meteorological Society,
for example, has a certification program for consult-
ants, identified asCertifiedConsultingMeteorologists,
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that involves extensive testing and board review.
Many attorneys find that the certification assists
them in identifying qualified experts. The forensic
meteorologistmust also have a high degree of integrity
and composure under pressure, so that the expert testi-
mony that he or she gives in the courtroom is
trustworthy, unbiased and professional.

The admissibility of expert opinions in the federal
courts of the United States is governed by the ‘Daubert
test’ in which the judge assesses whether the reasoning
ormethodology underlying the opinion is scientifically
valid and the offered testimony is relevant to the case.
Many non-federal courts still adhere to the earlier
‘Frye test’ in which expert opinions must be based on
principles and techniques that are ‘generally accepted’
as reliable within the relevant scientific community.

Before accepting work as an expert, the forensic
meteorologist should inquire about the nature of the
case and the parties and attorneys involved, in order to
avoid possible conflicts of interest. A conflictmay arise
if the expert has had prior exposure to the facts and
legal arguments of the case or if the opposing attorney
is a regular client of the expert, particularly for cases of
a similar nature. In some instances the expert should
decline to accept the work if the case involves a special
area of meteorology in which the expert has limited
knowledge or training. For example, an expert in air
pollution meteorology may refer the client to an
aviation weather expert if the case involves an aircraft
accident in a severe thunderstorm.

After accepting the case, the weather expert should
obtain all the information that the attorney possesses
that might be relevant to the meteorological investi-
gation. This information will include, at a minimum,
the date, time, location, and nature of the event that
led to the litigation. It may also include reports and
statements describing the event that were prepared by
investigative agencies, law enforcement officers, or
eyewitnesses. For example, the National Transporta-
tion Safety Board of the United States produces
investigative reports that provide information about
the particulars and contributing factors in aircraft
accidents. The testimonyof eyewitnesses regarding the
weather conditions can sometimes provide descriptive
details about a weather event that would not be
evident in officialmeteorological data. The expertmay
also find it useful to visit the site of the incident to
assess the importance of exposure, surrounding ter-
rain, and site orientation to the analysis and interpre-
tation of the meteorological events.

The Value of Meteorological Data and Analysis

Although the attorney retaining the expert may have a
substantial amount of information about the event, a

forensic meteorologist cannot offer a reliable opinion
until weather data are obtained and reviewed. The
nature and quality of the data needed to formulate
expert opinions depends on the nature of the case and
the relative importance of weather to the arguments
and theories in the litigation. In the case of a slip and
fall injury, it may only be necessary to obtain hourly
rainfall data from a nearbyweather station. In the case
of a fatal aircraft accident, a wide variety of data may
be needed to formulate a clear and complete descrip-
tion of the weather conditions at the time and location
of the accident. The data may include surface weather
observations, upper-air weather charts, satellite and
radar images, lightning strike data, aviation weather
forecasts, and pilot reports of weather conditions
aloft.

Forensic meteorological investigations often de-
pend on the analysis of severe weather phenomena
that have significant variations over small temporal
and spatial scales. For example, a severe thunderstorm
can create strong winds and large hail that cause
isolated property damage in a few seconds to minutes.
The ability to reconstruct past weather for forensic
purposes has been greatly enhanced by recent advanc-
es in observational techniques that target mesoscale
weather phenomena. For example, the National
Weather Service of the United States operates a
network of Doppler weather radar stations that
provide nearly complete and continuous coverage of
the country. Similar radar networks are found in other
countries. The radarmonitoring of severeweather and
the archiving of the radar data have allowed forensic
meteorologists to develop more accurate and detailed
descriptions of severe weather events.

Similarly, the weather is monitored continually
from space by geostationary and polar-orbiting satel-
lites. Improvements in the resolution of the on-board
sensors and the addition ofmore observing channels at
infrared wavelengths allows forensic meteorologists
to investigate past weather events in greater detail. For
example, combinations of data from different infrared
channels permits the identification of potential avia-
tion hazards such as fog or airframe icing. Other
satellites are capable of measuring ocean wave heights
and estimating surface wind speeds at sea, which is
valuable information for the investigation of cargo
and ship losses during intense storms.

Other advances in meteorology are related to
improvements in computer models of the atmosphere.
The ability to computationally simulate or analyze
mesoscale weather phenomena has greatly improved.
The global re-analysis of historical weather data with
computer models that are also used in operational
weather forecasts has provided another new tool for
the forensic investigator.
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Acquisition of Weather Data

The meteorological data used in forensic work are
commonly stored in government archives and can be
accessed by the general public for usually modest fees.
The primary sources of data in theUnited States are the
National Climatic Data Center, which is part of the
National Oceanic and Atmospheric Administration,
and Regional Climate Centers and State Climatolo-
gists. Similar government archives are operated by the
weather services of other countries. In addition to
national government sources, a number of local
government agencies, universities, and private com-
panies archive meteorological data and operate
weather observing stations in special monitoring
networks. While anyone involved in litigation can
obtain weather data, a forensic meteorologist is
usually more efficient in selecting and obtaining the
relevant data and organizing it into a coherent source
of information for the analysis of weather events.

The collection, archiving, and retrieval of meteor-
ological data had undergone considerable change in
recent years, affecting the practice of forensic meteor-
ology. In the past most meteorological data were
recorded and archived on paper or film. For example,
wind data were recorded on instrument recorder
charts, radar scope images on film, and surface
observations on handwritten forms. The data and
analysis techniques were often limited in quantity and
complexity. Forensic meteorologists usually ordered,
and in many cases continue to order, paper copies of
data and images that bear a fixed certification and seal
of authenticity from the government agency providing
the data. The physical seal and certification of the data
copy are still regularly used as a means of authenti-
cating the copy for admission into evidence at trial.
Production and delivery of the hard-copy data and
images by the data supplier often resulted in waiting
times of a fewweeks tomonths. Analysis of the data by
a forensic meteorologist was labor-intensive, particu-
larly for cases in which years of data had to be
reviewed to determine normal climatological condi-
tions, since the data had to be extracted from the
certified paper forms.

The recording, storage, and delivery of data on
paper, microfiche, and film is rapidly diminishing.
Low-cost computer storage of data, data-intensive
observational systems such as Doppler weather radar
and multichannel satellite sensors, complex computer
models of the atmosphere and ocean, digital surface
weather sensors, computer networks, and the Internet
are radically changing the work of the forensic
meteorologist. Many government and private data
sets are now maintained on computer servers on the
Internet and are easily accessible at low or no cost to

the end user. Even large data sets, such as satellite and
radar data, can be extracted from computer tapes at
government archives and delivered to the end-user by
file transfers over the Internet. Many data providers
are also providing large data sets on CD-ROM and
DVD. Large quantities of data can thus be retrieved
and analyzed on the computer workstations of foren-
sic meteorologists. Waiting periods for data delivery
have generally been reduced from weeks and months
to minutes and days. While the time required to
acquire and analyze the data on a per-unit basis has
been substantially reduced, the quantity and variety of
data available for forensic work has increased dra-
matically, so that the total amount of effort in a typical
investigation has not diminished. Even so, improved
access to data often allows experts to provide their
clients with preliminary analysis and opinions in a
time frame shorter than previously possible.

The physical certification of digitized data is often
impractical, if not impossible. The authenticity of
digitized meteorological data as admissible trial evi-
dence is usually not problematic, provided the testi-
fying expert can demonstrate that the data was
obtained from reliable sources and is customarily
used by meteorologists in their work.

Reports and Testimony

After the weather data has been obtained and ana-
lyzed, a report is made to the client either verbally or in
writing.A formal report that includes expert opinions is
sometimes required by the client or by the judicial rules
governing the litigation. The report becomes a basic
reference document for future testimony by the expert.

Before a case goes to trial, a discovery period occurs
when the attorneys in the litigation request copies of
the documents and information used or prepared by
the other side’s technical experts. The information
includes the data gathered and any written reports
prepared by the weather expert. Furthermore, the
expert is questioned in a deposition by the opposing
legal counsel to discover the expert’s opinions and the
foundational basis for those opinions. The discovery
and evaluation of theweather data and expert opinions
sometimes encourage a settlement between the oppos-
ing parties, particularly if the weather was the primary
cause of the loss or dispute that initiated the lawsuit.

As the trial approaches, the expert prepares exhibits
that display the data and information relevant to the
issues of the case. The exhibits are often directly
derived fromdiagrams, tables, and images found in the
expert’s report. The availability of digitized data has
led to improvements in the presentation of meteoro-
logical information in the courtroom. Radar and
satellite digital images and computer simulations of
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weather events can easily be annotated for trial
presentation and stored on a CD-ROM. Using a high-
resolution projector attached to a laptop computer, the
testifying expert can display the images in the court-
room using animation sequences, stop-action frames,
zoom views, and various enhancements. Presentations
of this kind allow the jury or judge to arrive at a better
understanding of the weather conditions associated
with the event that led to the litigation. In fact,many lay
people who serve on juries see animated satellite and
radar images on the weather segments of television
news shows and are somewhat familiar with basic
meteorological concepts related to these observations,
prior to seeing such data in the courtroom.

The expert should assist the attorney in preparing
for the expert’s trial testimony. The attorney needs to
have a thorough understanding of the expert’s opin-
ions, along with the basis for those opinions, so there
are no surprises in the courtroom. The testimony and
opinions of the expert, together with the trial exhibits,
are presented during the direct examination by
the attorney who retained the expert. The expert has
the responsibility of clearly and simply explaining the
weather elements of the case to the judge or jury.
Cross-examination of the expert by the opposing
attorney is standard practice. If some points of the
testimony need to be clarified following the cross-
examination, the attorneywho retained the expert has
an opportunity to ask additional questions in redirect
examination. Once the expert’s courtroom testimony
is finished, the expert’s participation in the litigation
usually ends, unless appeals in the matter require a re-
hearing of the expert’s opinions.

Examples of Meteorological
Investigations

A tragic aviation accident, in which weather played a
critical role, was the crash of a commercial aircraft,
American Eagle flight 4184, near Roselawn, Indiana,
on 31 October 1994. The aircraft was in a holding
pattern at 3000m altitude for about 30minutes while
waiting for clearance to land at Chicago’s O’Hare
airport. Shortly after it was released by air traffic
controllers from its holding pattern, it descended
toward 2500m, at which time the pilots could no
longer control the aircraft and it crashed into a field,
killing all 68 people on board.

Airframe icing can significantly degrade the per-
formance of an aircraft. Based on the findings of
detailed meteorological investigations of the Rose-
lawn accident, the cause for the loss of control is
strongly suspected to have been the accumulation of a
ridge of ice behind the leading edge of the wings.
Because the wings of the aircraft operating as Flight

4184 were located at the top of the fuselage, the pilots
were unable to see the formation of ice on top of the
wings. Relatives of the deceased passengers sued the
airlinepartly over thealleged inactionof thepilotswith
respect to the hazardous icing conditions. Attorneys in
the litigation retained aviation weather experts and
much of the meteorological investigation focused on
the nature, timing, and severity of the icing conditions.
The microphysics of supercooled drizzle drops was an
important aspect of the investigation, since the atmos-
pheric conditions were indicative of the presence of
such drops in the area of the holding pattern. These
drops can be particularly hazardous to aircraft because
they can flow over and freeze behind the icing-
prevention devices on the leading edge of the wings
and create ice formations that seriously disrupt air flow
over the wings. Data and images from the National
Weather Service Doppler radar near Chicago (see
example in Figure 1) were carefully studied to deter-
mine when the aircraft most likely encountered super-
cooled drizzle drops during the holding pattern. The
meteorological analysis was partly intended to deter-
minewhether any early visible indications of icingwere
present that might have given the crew an opportunity
to respond and take evasive action. A substantial
amount of timeand effortwas spent on thepreparation
of trial exhibits related to the weather testimony, but
the litigation was settled shortly before trial.

Commercial and private aircraft are also subject to
hazardous weather associated with thunderstorms.
The occurrence of microbursts (intense small-scale
downbursts in the decaying stages of a thunderstorm)
are of particular concern on approach or departure
from an airport. Large changes in wind speed and
direction across a microburst can create sudden and
unexpected changes in lift. The ability of the pilots to
recognize and avoid the hazardous conditions associ-
ated with a microburst are usually at the center of the
litigation in such cases. Microbursts were the primary
cause of several major accidents, such as the Delta Air
Lines crash at Dallas, Texas, on 2August 1985 and the
US Airways crash at Charlotte, North Carolina, on
2 July 1994. Litigation related to these crashes relied
not only on detailed analysis of the meteorological
data but on eyewitness statements from pilots of other
aircraft andair traffic controllers regarding theweather.

Severe turbulence can cause passenger injuries on
commercial flights and such incidents often lead to
lawsuits against the airlines operating the flights.
Typically the plaintiff will allege that the pilots should
have anticipated and avoided the turbulence. Aircraft
operation in and around thunderstorms increases the
likelihoodof a severe turbulence encounter.Avoidance
of thunderstorms is made possible through direct
visual observation, on-board weather radar, and
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pre-flight and in-flight weather briefings. Other at-
mospheric phenomena, such as breaking mountain
waves and strong vertical or horizontal shear in jet
streams, can also cause severe turbulence, but such
conditions are usually more difficult to anticipate and
avoid than convective turbulence.

The examination of satellite, radar, and upper-air
data is usually a critical component in meteorological
investigations of turbulence incidents. Two passengers
who allegedly suffered turbulence-related injuries
during a flight across the south-western United States
in March 1996 sued the airline. The airline hired an
aviation meteorologist who concluded that there was
no meteorological evidence for the turbulence en-
counter. However, the meteorologist working for the
plaintiff obtained satellite photographs that showed
the existence of strongmountainwaves at the time and
location of the incident, consistent with the plaintiffs’
allegation. The casewas settled shortly after the report
of the plaintiff’s expert was submitted in the litigation.

Sometimes unofficial weather measurements are at
least as valuable as official records. The construction
of a natural gas pipeline in South America was
interrupted by heavy rain and destructive flooding in
April 1998. The construction company was insured
against losses of this kind and filed a large claim for
extensive damage and delay associated with the event.
The insurerwas uncertain about paying the claim since
rainfall totals from official weather stations in the
region were not sufficiently large to have caused the
flood damage claimed by the construction company.
The insured party produced an unofficial measure-
ment of 325mmof rain in one day fromahotel located
near the project. The rainfall reading at the hotel was
many times larger than any of the official readings. In
order to resolve the validity of the claim, the insurer
hired a meteorologist to investigate the weather
conditions, as well as forensic civil engineers who
inspected the physical damage. An examination of
weather satellite data demonstrated that an isolated
severe thunderstorm with exceptionally high cloud
top heights (Figure 2) did occur along the segment of
the pipeline where themost severe damage was found.
A range of probable rainfall amounts was inferred
from satellite data and was generally consistent with
the high rainfall reading at the hotel. Although the
heavy rainfall did not cover as much of the pipeline
project as claimed by the construction company, the
insurer concluded that at least part of the claim was
valid.

In another example, the owner of a Florida resort
hotel claimed that extensive water damage to the
interior of the building was the result of roof leaks
during a very heavy rainfall event. The hotel owner
filed a lawsuit against a construction company that
had repaired the roof shortly before the alleged
damage. Attorneys for the construction company
retained a forensic meteorologist to determine wheth-
er a heavy rainfall event actually occurred at the
property during the period in which the water damage
occurred. Rain gauges in the area did not confirm the
occurrence of a rain event of the magnitude alleged by
representatives of the hotel. The amounts were far
below the quantity of water associated with the
interior damage. Attorneys for the hotel asserted that
since isolated heavy rainfall often occurs in Florida,
the rain gauges simply missed the ‘deluge’ at the hotel.
Examination of data from the National Weather
Service Doppler radar station that monitors the region
demonstrated conclusively that the rainfall amounts at
the hotel were similar to the amounts measured at the
rain gauges. The case reached trial and the meteorol-
ogist testified about the rainfall and radar analysis.
The jury found in favor of the defendant, i.e.,
the construction company, concluding that it was

Figure 1 Track of American Eagle Flight 4184 during part of its

holding pattern near Chicago, Illinois, on 31 October 1994, plotted

on a National Weather Service Weather Surveillance Radar

reflectivity image. Time associated with each aircraft position is in

minutes after 21:00 Universal Coordinated Time. The aircraft

occasionally encountered areas of light precipitation, most likely

supercooled drizzle drops, during its hold.
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impossible that rain could have caused the water
damage to the interior of the hotel.

The Outlook for Forensic Meteorology

The density and value of physical property is steadily
increasing in regions especially susceptible to weather
damage, such as coastal areas. While significant
improvements are being made in aviation safety
procedures, particularly related to the distribution
and analysis of weather information for pilots and air
traffic controllers, the frequency of air travel is also
expected to grow rapidly. Furthermore, judicial sys-
tems are generally increasing the monetary value
assigned to human life and health. As a result, the
amount of litigation related to weather is likely to
expand, increasing the need for forensic meteorolog-
ical services.

With the expectation of additional enhancements in
the quality and quantity of data from remote sensors
and computer models of the atmosphere and ocean,
the work of the forensic meteorologist will become
more complex and require continual upgrades in
professional skills and knowledge. On the other hand,
advances in observational and analytical techniques
will likely also reduce uncertainties regarding past
weather conditions and, therefore, enhance the value

of meteorological research and testimonywith respect
to litigation.

See also

Air–Sea Interaction: Surface Waves. Aviation Weath-
er Hazards. Clear Air Turbulence. Convective
Storms: Convective Initiation. Flooding. Fog. Gust
Fronts. Hurricanes. Lee Waves and Mountain
Waves. Microbursts. Radar: MST and ST Radars and
Wind Profilers; Precipitation Radar. Satellite Remote
Sensing:SurfaceWind.SynopticMeteorology:Weath-
er Maps. Weather Prediction: Severe Weather Fore-
casting.
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Figure 2 Color-enhanced infrared satellite image from Geostationary Operational Environmental Satellite 8 on 8 April 1998 at 11:45

Universal Coordinated Time nearPuertoSuarez, Bolivia. Lower temperatures indicate higher cloud tops. Note the very cold temperatures

for the heavy thunderstorm near the center of the image. Heavy rain from this thunderstorm caused flooding and extensive damage to a

pipeline construction project.
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Introduction

Frontal formation is called frontogenesis and decay or
dissolution is referred to as frontolysis. The intensifi-
cation or weakening of the thermal gradient is usually
considered to be the measure of frontogenesis. The
instantaneous rate of change of the cross-front tem-
perature gradient may be expressed as a diagnostic
relationship that encompasses all processes that con-
tribute to frontogenesis. Contributions are associated
with particular configurations of both horizontal and
vertical wind fields, cloud cover, which can allow a
selective heating or cooling of the Earth’s surface,
either ahead or behind the front, evaporation and
condensation, among other non-adiabatic (i.e., diaba-
tic) processes and surface heterogeneity, particularly
coastal zones. Each contribution may be evaluated
independently by means of observations and data
from numerical model simulations. The relative
importance of each contribution to frontogenesis
depends on the type of front, surface-based or upper-
air, and its place in the time evolution from inception
to decay.Model simulations, which are based on a full
set of predictive equations, are required for a funda-
mental understanding of frontogenesis as an evolu-
tionary process that involves interactions between
different physical processes.

Frontogenesis

Frontogenesis is usually defined as an increase in the
three-dimensional spatial gradient of the potential
temperature y. The potential temperature y is defined
as

y ¼ T
p0
p

� �R=cp

½1�

where T is the absolute temperature, p is the pressure,
p0 ¼ 1000 hPa is a constant reference pressure, and
R=cp denotes the ratio of the gas constant to the
specific heat of air at constant pressure. The potential
temperature is a convenient thermodynamic variable
for the study of frontogenesis, because it is conserved
during adiabatic displacements of dry air parcels, and
changes in y may then be associated with diabatic
processes. The latter involve heat exchange between

air parcels and their surrounding environment. Close
to the Earth, where p � p0 and where vertical
displacements are relatively small, y may be replaced
by T. Frontogenesis depends on both the kinematic
properties of the wind field, and on the dynamic and
thermodynamic processes associated with the under-
lying physics of atmospheric flow. Consider, for
example, an increase in the thermal gradient in the
y-direction from the advection of temperature by the
confluentwind field in Figure 1A. Air parcels, confined
to a horizontal plane, are alternately compressed
along the y-axis and then stretched along the x-axis.
The rate at which the potential temperature gradient,
�qy=qy, increases, following the horizontal motion of
an individual fluid element, DH=Dt, is related to this
confluent wind field by

qy
qy

����
����
�1

DH
qy
qy

����
����=Dt ¼ a ½2�

where adenotes the rate of confluence. This expression
shows that, if a may be treated as a constant, the
potential temperature gradient increases exponential-
ly with time. It is not, however, sufficient to analyze
frontogenesis in this simple manner, because an
increase in the horizontal temperature gradient
requires an increase in the vertical shear of the
along-front horizontal wind speed. This relationship
between the horizontal thermal gradient and the
vertical wind shear is referred to as thermal wind
balance. The maintenance of thermal wind balance
requires the development of a thermally direct circu-
lation cell, referred to as a secondary transverse
circulation and displayed in Figure 2. The increase of
the thermal gradient from confluence is partially
reduced by adiabatic cooling of air which rises on
the warm side of the front, and adiabatic warming of
air which sinks on the cold side of the front. The
increase in the vertical wind shear, from the net
increase in the thermal gradient, is associated with the
horizontal branches of the circulation cell. The
Coriolis force deflects motion into the section aloft,
and out of the section below, to effect the necessary
increase in the vertical shear.

A shortcoming of the frontogenesis model, ex-
pressed by eqn [2], is the consideration of only a
confluent wind field to effect frontogenesis. Typical
values of a, observed near the Earth’s surface, reveal
that more than 2 days are required to increase the
temperature gradient by an order of magnitude. Yet,
comparable increases have been observed, in some
instances, during a period of 12 h or less. One way to
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resolve this discrepancy is to allow the convergent
wind field, also shown in Figure 1A, to collaborate
with confluence to enhance frontogenesis. A modified
version of eqn [2] may be expressed as

qy
qy

����
����
�1

DH
qy
qy

����
����=Dt ¼ aþ d ½3�

where d denotes horizontal convergence. The incor-
poration of d into this simple archetype provides a
feedback effect, because the convergent wind field
increases with the rate of frontogenesis. This mecha-
nism, among others, contributes to observed values of
rapid frontogenesis at lower levels of the atmosphere.

Kinematic contributions are not restricted to con-
fluence and convergence. Consider the frontogenetical

or frontogenesis function, defined as

F ¼ D ryj j=Dt ½4�

where F is the rate of change of the three-dimensional
potential temperature gradient (r is the gradient
operator) following the motion of individual air
parcels, indicated by the operator D=Dt. Frontogen-
esis, as defined by F, is produced by physical processes
that do not depend on the translation of the front.
Therefore, the relationship between F and various
kinematic and thermodynamic frontogenetical proc-
esses is a convenient means to describe the relative
importance of contributions to frontogenesis, even if
evaluation is not made moving with the front.
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Figure 1 Frontogenesis mechanisms: (A) horizontal deformation by confluence and by convergence (thick arrows); (B) horizontal

deformation by horizontal shear and rotation; (C) vertical deformation; (D) vertical divergence; (E) tilting; (F) differential diabatic radiative

heating related to cloud cover.
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A mathematical representation of the atmospheric
processes that produce an instantaneous value of F
provides a diagnostic expression, called the fronto-
genesis equation. The essence of this equation may be
represented as

F ¼ horizontal deformation ðIÞ
þ vertical deformation ðIIÞ
þ vertical divergence ðIIIÞ
þ tilting ðIVÞ þ diabatic ðVÞ

The first four contributions relate to kinematic
configurations of the wind field that interact with the
temperature field, and the fifth encompasses all
diabatic processes that contribute to frontogenesis.
The horizontal deformation term (I) is composed of
four contributions, which are illustrated in Figure 1.
The confluent flow in Figure 1A, restricted to the
horizontal plane, concentrates the thermal gradient so
as to increase F; difluence acts in the opposite sense.
The convergent flow in Figure 1A also increases the
thermal gradient in the horizontal plane as does a
confluent flow, but horizontal convergence and diver-
gence also produce motion normal to the plane.
Horizontal shear, as depicted in Figure 1B, both
concentrates the isotherm pattern and rotates the
alignment to increase frontogenesis in the y-direction.
Vertical deformation (II), associated with the vertical
shear of the horizontal wind, is shown in Figure 1C.
The contribution displayed is frontogenetical, increas-
ing both the vertical and horizontal temperature
gradients. Vertical divergence (III) only acts on vertical
gradients of temperature. This term is illustrated by
the convergent wind field, in Figure 1D, which
produces frontogenesis along the z-axis. The tilting
term (IV) is a kinematic effect produced by differential
vertical motion. The motion displayed in Figure 1E

rotates isotherms in the vertical cross-section, to
increase the temperature gradient along the y-axis.
Finally, cloud cover, precipitation, and surface heter-
ogeneity are all factors that contribute to diabatic (V)
frontogenesis or frontolysis. The principal physical
processes included in the diabatic contribution are
associated with differential radiative heating, as illus-
trated by the extensive cloud shield inFigure 1F, andby
latent heating and evaporative cooling. A secondary
factor is differential heating across a frontal zone
produced by frictional dissipation of kinetic energy
close to the Earth’s surface. The effect of this process
on frontogenesis is unclear since measurements are
lacking. Turbulent transfer of heat acts to reduce
temperature gradients, but molecular heat diffusion is
not considered to make a significant contribution to
frontogenesis.

The relative importance of these contributing fac-
tors will be examined for three types of frontogenesis.
They are surface frontogenesis, coastal frontogenesis,
and upper-level frontogenesis. Eachmay be delineated
with synoptic-scale observations that may be supple-
mented with special observational platforms, such as
instrumented aircraft, to explore relatively small-scale
details that cannot be measured by conventional
means.

Surface Frontogenesis

Surface frontogenesis refers to frontogenesis that
occurs in the horizontal cross-front direction over
relatively level terrain, away from coastal zones. Close
to the ground, where the vertical motion is relatively
small, temperature changes in the cross-front direc-
tion, rHyj j, are primarily associated with horizontal
deformation (I) and with horizontal gradients of
diabatic heating or cooling (V). The observed field of
horizontal deformation overlaying surface potential
temperature isotherms, shown in Figure 3, produced
dry nighttime frontogenesis in the Great Plains over a
5 h period. The idealized patterns of Figures 1A and B
all appear in observed low-level deformation flows
that produce surface frontogenesis, but are not easy to
separate into component parts in real flows.

A few examples will illustrate situations in which
differential diabatic heating or cooling contribute to F.
Figure 1F depicts a daytime situation which enhances
frontogenesis. Relatively little temperature change
will occur in cloud-capped cold air behind the front;
low-level heating is significant on the warm side of
the front, rHyj j increases. Alternatively, frontolysis
would be evident at night under the same conditions
shown in Figure 1F, since radiational cooling of the
low-level air on the warm side would take place, with

z

y

� + 3∆�
� + 2∆�

� + ∆�

� − ∆�

� − 2∆�

�

Figure 2 Thermally direct circulation cell. The dashed lines are

isothermsof potential temperature, and thehorizontal jet flow is into

the section at low levels and out of the section at upper levels.
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little temperature change in the cold air expected to
occur. The formation of clouds also contributes to
frontogenesis by means of differential heating associ-
ated with the release of latent heat. Cumulus convec-
tion, for example, in advance of a cold front, increases
the cross-front temperature gradient by condensatio-
nal heating in the warm air. Evaporative cooling will
also produce frontogenesis when precipitation falls
into an unsaturated layer of cold air behind the front.

Consider the vertical deformation (II) term, as
displayed in Figure 1C, to be associated with positive
wind shear as a consequence of boundary layer friction
or drag. This effect on frontogenesis would be difficult
to measure, since it acts at low levels in consort with
horizontal deformation (I). Close to the ground,
however, contributions to frontogenesis by vertical
divergence (III) and tilting (IV) of the front in a
vertical cross-section, which arise from gradients of
vertical velocity, are expected to be relatively small.
Yet, these terms become more significant aloft, where
they contribute to both the frontal slope and to the
vertical component of the temperature gradient. It is
not only kinematics of the vertical motion field,
however, that needs to be addressed. Convergence at
low levels, for example, contributes to frontogenesis
by horizontal temperature advection. At the same
time, rising motion on the warm side of the front
would cool by dry adiabatic ascent, and dry adiabatic
descent on the cold side would produce warming. The
temperature change, brought about by this thermo-
dynamic process, is frontolytical. This example is one
of many which illustrates that the purely kinematic

approach to frontogenesis is limited. It is necessary to
encompass both thermodynamic and dynamic pro-
cesses, described by the complete set of predictive
equations, to understand completely frontogenesis
and frontolysis.

Coastal Frontogenesis

Coastal frontogenesis is surface frontogenesis that
owes its existence to the particular conditions associ-
ated with a coastal zone. Coastal frontogenesis can be
particularly prominent, for example, along the east
coast of the United States in wintertime. Favorable
conditions are set up by the low-level thermal gradient
between the relativelywarm air over the ocean and the
colder continental air inland. The shallowmass of cold
continental air is blocked to the west by the Appala-
chian Mountains, which are oriented approximately
parallel to the coastline. This topographic constraint is
called cold air damming.

Differential diabatic heating (V) establishes a pre-
ferred location for the onset of coastal frontogenesis.
The conditions are set up for frontogenesis to proceed
when air flows southward from a cold anticyclone,
which is situated north of the front in the vicinity of the
south-eastern coast of Canada. This flow is modified
by convective heat flux from the warm ocean and
crosses the United States coastline as an easterly flow.
Convergence occurs along the coastal zone as the low-
level airstream encounters rougher inland terrain, and
experiences an increased surface drag. Cold air also
streams southward, parallel to topographic contours,
in the corridor between the coast and the Appalachian
chain. As a consequence, the low-level flow turns from
northerly to easterly across the frontal zone, providing
a horizontal deformation (I) flow field that reinforces
the preexisting thermal gradient. Air convergence in
the frontal zone also provides a vertical uplifting of
warm, moist air that produces clouds and precipita-
tion on both sides of the front. The sign andmagnitude
of this secondary diabatic (V) contribution to fronto-
genesismay vary from case to case. Further, frontolysis
may occur in less than 24 h when the horizontal
deformation field, which reinforces the thermal gra-
dient, is altered by an evolving large-scale synoptic
flow pattern.

Upper-Level Frontogenesis

Upper-level frontogenesis refers to frontogenesis that
is initiated aloft in the vicinity of midlatitude jet
streams, and may not appear to be directly coupled to
frontogenesis accompanying surface-based activity.
Figure 4 displays a synoptic analysis that illustrates a

277
279
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285

Figure 3 Streamlines of horizontal flow, with isotherms of

potential temperature (K) denoted by dashed lines, during a period

of frontogenesis observed in the Great Plains. (Adapted with

permission from Ostdiek V and Blumen W (1997). Journal

of the Atmospheric Sciences 54: 1490–1502. Boston: American

Meteorological Society.)
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case of upper-level frontogenesis, which evolved into a
mature front exhibiting a significant thermal gradient
that extended down to the 800mbar level, or about
2 km above the Earth’s surface. As in Figure 2, a
thermally direct circulation cell is required in order to
maintain thermal wind balance at upper levels. The
schematic representation, presented in Figure 5, dis-
plays a prominent clockwise circulation cell, which is
confined to the warm side of the frontal zone. The
circulation on the cold side may not be well defined
and, accordingly, is omitted from the figure.

This cross-front circulation represents a response to
horizontal deformation (I), which provides an en-
hancement of the thermal gradient upstream, and a
diminution of this gradient downstream, along the

axis of the jet stream. The relative position of the
circulation cell and its intensity are also determined by
cold air advection along the jet axis. The secondary
circulation that develops in response to changes in the
thermal gradient serves a dual purpose. First, thermal
wind balance is maintained in the presence of fronto-
genesis. Second, this secondary circulation converts
potential energy into kinetic energy in order to
maintain the upper-level jet stream frontal system.

The tropopause, which is low over the cold air and
high over the warm air, represents the relatively sharp
transition to the lower stratosphere, where large static
stability resists vertical displacements. Accordingly,
the secondary circulation tends to steepen the tropo-
pause and draw a relatively thin slice of stratospheric
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Figure4 Cross-section of an upper-level frontal systemduring a period of frontogenesis: (A) early stage; (B)mature stage reached24 h
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air downward to lower levels and create a tropopause
fold. The upper-level frontal zone is delineated by the
concentrated horizontal and vertical potential tem-
perature gradients appearing below the 300mbar level
in Figure 4. The development and alignment of this
characteristic thermal field is intimately associated
with the development and evolving structure of the
circulation cell. In particular, the subsiding branch of
the circulation provides adiabatic compressional heat-
ing below the jet axis, which is responsible for the
cross-front thermal gradient, and its descent to low
levels of the troposphere. The elapsed period between
the relatively early stage of frontogenesis in Figure 4A
to the mature stage in Figure 4B is 24 h.

The vertical deformation field (II) provided by the
circulation cell is frontogenetical at upper levels, but
becomes frontolytical below where the front weakens
and terminates. The contribution to vertical diver-
gence (III) cannot, however, be easily assessed. Rela-
tively large gradients of vertical motion could be
expected to exist below the tropopause, where vertical
motion is suppressed. The sign andmagnitude of these
gradients is only available frommodel simulations and
from measurements obtained by instrumented air-
craft. These sources do not provide sufficient infor-
mation for a definitive evaluation of the overall effect
of vertical divergence on frontogenesis. The large
magnitude of subsidence on the warm air side of the
front is, however, consistent with the frontal slope
produced by tilting (IV) of horizontally aligned
isotherms at upper levels into the more vertical
orientation that characterizes the mature front in
Figure 4B.

The diabatic (V) contribution to frontogenesis has
generally been associatedwith turbulent dissipation at

upper levels. This process is related to the breakdown
or instability of relatively laminar horizontal flow into
small-scale turbulent eddies that ultimately dissipate
into heat at molecular scale. Flights carried out by
instrumented aircraft reveal that the favored locations
for this process to occur are above and below the jet
stream and in the frontal zone, where vertical shears of
the horizontal wind are very large. These regions are
more susceptible to large vertical displacements and
overturning eddies, even when the buoyancy force
tends to oppose this type of motion. Small-scale
mixing is usually viewed as a frontolytical process,
acting to smooth out sharp gradients. Yet observations
do reveal the formation of relatively sharp tempera-
ture gradients in the atmosphere that appear to
develop from mixing in thin layers separated by
more laminar flow. However, the relative importance
of this type of differentialmixing, and the contribution
made to frontogenesis by dissipationof these turbulent
eddies into heat, has not been adequately determined.

Frontogenesis in the Wind Field

Surface heterogeneity can fix the position of a front,
and differential diabatic heating can provide a contri-
bution to frontogenesis, but ultimately frontogenesis is
a process driven by a favorable wind distribution. The
kinematic approach to frontogenesis does not, how-
ever, reveal the complex nature of nonlinear interac-
tions that sharpen gradients. It is necessary to solve the
basic equations of dynamicmeteorology to develop an
understanding of how these interactions operate.

Frontogenesis in the wind field may be simply
illustrated by a prototype, which exhibits a physical
process that has been identified in more complex
atmospheric models. The evolution of the velocity
normal to the front, u, can be described by

qu
qt

þ u
qu
qx

¼ 0 ½5�

where t is time and x is the direction normal to the
front. The initial distribution of u, shown in Figure 6,
displays a convergent wind field. According to eqn [5],
each value of u travels at velocity u. At later times, a
given value of u is displaced a distance ut from its
previous position. This nonlinear self-advection will
continue until qu=qx ¼ 1. A dissipative process in
nature will, however, prevent the occurrence of a
discontinuity in the velocity field. A finite frontal zone
could be expected to occur, exhibiting a balance
between advection and dissipation.

The nonlinear process described by eqn [5] is only
one of many that contribute to frontogenesis in
atmospheric flows. The process of nonlinear

Direct
cell

J

z

Figure 5 Schematic illustration of the transverse secondary

circulation associatedwith an upper-level front, as shown inFigure

4. (Adapted with permission from Danielson ER (1968) Journal

of the Atmospheric Sciences 25: 502–518. Boston: American

Meteorological Society.)
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self-advection is a particularly important feature of
small-scale frontogenesis, when the Earth’s rotation
may be neglected, along-front variability is not signif-
icant, and vertical velocity is not a factor close to the
Earth’s surface.

See also

Boundary Layers: Neutrally Stratified Boundary Layer.
Cyclogenesis. Cyclones, Extra Tropical. Fronts.
Synoptic Meteorology: Weather Maps. Turbulence
and Mixing.
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Introduction

Atmospheric fronts are three-dimensional zones that
represent a rapid transition of the thermal field,
accompanied by a marked shift in the wind direction.
In some cases, a significant transition in the moisture
field may also occur across the frontal zone, and an
increase in the magnitude of the wind may occur in
collaboration with the wind shift. The thermal gradi-
ent is usually largest at the Earth’s surface, and
weakens as the zone slopes upward with relatively
warm, less-dense air overlying relatively colder air of
higher density. The transition zone may extend over a
distance of 1000 kmormore along the Earth’s surface,
and a typical cross-front to along-front ratio is 1:10.
Fronts are observed at all longitudes in the extratrop-
ical latitude belt and are associated with most of the
significant weather events that occur during the late
autumn through the early spring period. Although
many fronts are surface-based, thermal gradients may
be enhanced at levels up to the tropopause producing

fronts in the troposphere, which appear to be uncon-
nected to surface-based frontal features.

The existence of a front or, equivalently, a frontal
zone, is an intrinsic property of the physical laws that
govern atmospheric motions. Fronts are produced in
numerical model simulations of the atmosphere in
which radiation, cloud cover, and surface heterogene-
ity are not a consideration. These latter processes
provide, however, some of the interesting variants that
characterize observed atmospheric fronts.

Surface Fronts

Anatmospheric surface front, in the present context, is
a well-defined phenomenon that may be distinguished
by the network of global meteorological observations.
The frontal intensity, measured by changes in the
temperature, humidity, and wind fields that occur
across the frontal transition zone, is most pronounced
at or near the Earth’s surface, and diminishes with
altitude. Fronts that fall into this category are synop-
tic-scale events, which may retain their individual
identities for up to a week or more. The physical
processes that give rise to identifiable frontal features
are controlled by four principal forces: the buoyancy

ut

ut
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x

Figure 6 Horizontal velocity u as a function of the cross-front

coordinate x . The distribution of u is shown at the initial time (solid)

and at a later time (dashed).
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force, the pressure gradient force, the Coriolis force,
and the frictional force, or drag, whose influence is
primarily restricted to the lowest 1–1.5 km of the
atmosphere, the planetary boundary layer. Gravity
acts downward, toward the Earth’s surface, and is
opposed by an upward directed or vertical pressure
gradient force. Hydrostatic balance occurs when the
two forces are equal in magnitude. In most cases there
is a small imbalance that provides a buoyancy force.
The direction of the buoyancy force controls the
direction of vertical motions associated with fronts.
The Coriolis force is directly proportional to the
Earth’s rotation rate and to the magnitude of the
horizontal wind vector. The Coriolis force, directed to
the right of the horizontal wind in the Northern
Hemisphere, is opposed by the horizontal component
of the pressure gradient force, which is directed
toward low pressure. These forces tend to be in
approximate balance above the planetary boundary
layer (the so-called geostrophic balance), providing a
counterclockwise circulation around a low-pressure
center. The drag force reduces the wind speed within
the planetary boundary layer, and lessens the magni-
tude of theCoriolis force,which leads to cross-isobaric
flow toward low pressure.

Amidlatitude wave cyclone, a low-pressure system,
is depicted in Figure 1. A cold front, a warm front and
an occluded front emanate from the center of the low
at various stages of the 36 h period depicted. The
designations, cold front, warm front, and occluded
front, emerged from the Norwegian cyclone model,
introduced after World War I, and have their basis in
military terminology. In this analogy polar air attacks
southward, the cold front; warmer air counterattacks
northward, the warm front. The occluded front
develops when the cold front makes a sharp turn and
attacks the warm air in its flank and, ultimately, the
two fronts merge with warm air rising above the
colder, surface-based air. Frontal modifications that
arise from passage over and around relatively large
topographic features, or from the passage across a
large body of water, modify this simple picture.

Cold Front

A cold front represents the advance of relatively cold,
dense air into a region previously occupied by relati-
vely warm less dense air. The cold front in Figure 1
is delineated by the triangular teeth that point in
the direction of the advancing cold air. The finite
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transitional zone, generally 100 km or less, is reduced
to a line on synopticweathermaps for two reasons: the
surface observational network is too widely
spaced to delineate the transition zone between
disparate air masses, and the map scale essentially
reduces the transition zone to the thickness of a broad
line.

Some cold fronts may be relatively shallow, as is
indicated in Figure 1, where the extent of the cold air is
limited to 1–2 km above the ground. In other cases, as
in Figure 2, the cold front retains its identity up
through most of the troposphere. The frontal slope is
designated as dz=dy, where z denotes height above the
ground and y is normal to the front, increasing toward
the cold air. Typical slopes of cold fronts are usually in
the range dz=dy � 1 : 50–1 : 150, and the frontal
slope in Figure 2 falls within this range. Close to the
ground, however, frontal translation is restrained by
the drag force, which has the effect of steepening the
frontal slope and deepening the wedge of cold air
behind the front. The cold air aloft may, in some cases,
overrun thewarm air ahead of the front, but the nearly
hydrostatic balance that usually prevails for midlati-
tude frontal situations requires high-density cold air to
reside under the sloping transition zone, as displayed
in both Figures 1 and 2.

The increase in wind through and above the frontal
zonemay be represented by the thermal wind relation,
which incorporates both hydrostatic and geostrophic

balance. The appropriate expression is provided by

qu
qz

¼ � 1

f �TT

qT
qy

½1�

where u is the along-front geostrophic wind, normal
to the direction of the temperature gradient, T the
absolute temperature (�TT is an average value, inde-
pendent of y) and f ¼ 2O sinf, whereO is the angular
velocity of the Earth’s rotation and f denotes latitude.
The marked vertical change, or shear, of the geo-
strophic velocity is a direct consequence, according to
eqn [1], of the relatively large horizontal temperature
gradient through the frontal transition zone.

Typical features associated with the passage of
a cold front past an observer at a fixed location may
be described by reference to the first two panels of
Figure 1. The temperature decreases relatively abrupt-
ly as the frontal zones passes, and the wind veers in the
clockwise direction. In addition, the surface wind
speed may increase in response to an increase in the
pressure gradient force, and it may also become gusty.
The temperature contrast across the frontal zone is
maintained by the horizontal advection of tempera-
ture toward the front, which is consistent with the
observed wind shift. Figure 1 shows that the front lies
in relative minimum or trough in the surface pressure
field, which produces a pressure drop as the front
approaches. Then the pressure increases as cold, dense
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airmoves through the observation site. There is often a
decrease in the moisture content of the air, measured
by the dew point temperature, through the frontal
zone. This feature is particularly noticeable if the
warmair sector, aheadof the front, is relatively close to
a large body of water, such as the Gulf ofMexico. The
extent of cloudiness and precipitation is determined by
the extent of moisture in the air, and by the extent of
vertical uplift at and behind the front. Yet the front is
not a material surface, and some of the air that
converges at the front in low levels may pass into the
frontal zone and recirculate without significant uplift.
Some may also rise, reverse direction, and then move
away from the front, producing little or no cloudiness.
A characteristic feature, indicated inFigure 1, is for the
air to rise, cool, and then condense, forming cumulus-
type cloudiness. The characteristic precipitation
patterns are varied, but intermittent shower
activity originating from large cumulus cells and
banded structures aligned parallel to the front are
not uncommon. Severe activity associated with cold
frontal passages includes hail, lightning, and tornado
inceptions.

A backdoor cold front designates a cold front that
moves opposite to the pattern depicted in Figure 1: its
movement is westward in the Northern Hemisphere.
In the USA, for example, a New England backdoor
cold front is associated with the westward expansion
of a cold surface high-pressure system situatednear the
North Atlantic coast during winter. The thermal
gradient is reversed in this case, and the frontal zone
is characterized by fog and low stratiform clouds
fueled by moisture from the ocean. A similar event
may also occur in spring and summer, when relatively
cool maritime air from the Atlantic Ocean moves over
the eastern seaboard. This cold air incursion, also
called a back-door cold front, moves southward along
the eastern slope of the Appalachian Mountains,
which serve as a barrier to inland penetration.

The southerly buster or southerly burster, defined as
a squally wind change, is an intense summertime cold
front that arrives at the south-eastern tip of Australia
from the Southern Ocean. Arrival of this front in the
afternoon can be accompanied by temperature chang-
es of 10–151C over a period of a few minutes, but
precipitation is not usually associatedwith a southerly
burster. The front travels equator-ward, acquiring a
characteristic S-shape as its movement is inhibited by
the east coast mountain chain, but movement inland
and along coastal waters is less restrained.

Warm Front

A warm front represents the advance of relatively
warm, low-density air into a region previously occu-

pied by relatively cold, high-density air. The leading
edge of the warm front in Figure 1 is delineated by the
semicircles that point in the direction of movement of
the warm air. The receding cold air is not, however,
pushed northward by the advancing warm air. The
north-easterly retreat of the cold air is associated with
the dynamics that governs the coupled system of the
surface-based wave cyclone and westerly flow aloft.
The transition zones of warm fronts are not nearly as
sharp and distinct as cold frontal zones, and may
extend over a few hundred kilometers. There are at
least two reasons for this lack of sharpness. First, the
receding cold air has progressed much further from its
source region than the relatively fresh surge of cold air
behind the cold front. As a consequence, exchange of
heat andmoisture between the surface layer and the air
above has produced amore significantmodification of
the receding cold air, and thereby reduced the contrast
between the adjacent airmasses. Second, other air near
the surface, embedded in the planetary boundary
layer, is subject to a drag force. Air motion above the
boundary layer is essentially frictionless flow. The
result is to reduce the frontal slope, typically
dz=dy � 1 : 300, and the depth of the receding cold
air. As a consequence, the relatively shallow depth of
the receding air mass is also more prone to modifica-
tion by vertical exchange with the underlying surface.

Figure 1A and B also indicate a sequence of change
as a warm front passes an observer at a fixed location.
The temperature increases through the transition
zone, but the magnitude of change is less than the
magnitude generally accompanying cold frontal pas-
sages. The wind direction also veers in the clockwise
direction, but the wind speeds are relatively light and
the wind shift may be obscured by local topographical
influences on thewind. The circulationmust, however,
maintain a net horizontal advection of temperature
toward the front in order to maintain frontal con-
trasts; otherwise the front would begin to lose its
identity. The warm front lies in a trough of low
pressure, but the sign and magnitude of the pressure
change associated with the frontal passage is depend-
ent, to a large extent, on the direction of frontal
progression. A change in the dew point temperature
may also be difficult to observe, particularly if an
extensive band of precipitation falls into the cold air
mass. In the absence of precipitation, the dew point
temperature would normally increase after frontal
passage. The warm, less-dense air, which is not
entrained into a frontal zone circulation, tends to
rise above the surface-based cold air and move with
the upper-level flow more rapidly than the translation
speed of the front. The type of cloudiness that may be
observed in advance of the front tends to be of the
stratiform variety. An extensive overcast may precede
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the warm front, with low stratus and fog character-
izing conditions within and near the frontal zone. The
type and extent of precipitation that may fall from
stratiform clouds into the receding cold air depends on
the moisture content, the vertical profile of air
temperature, and the northward extent of the cloud
cover. A particularly treacherous situation occurs
when rain falling into cold air freezes and produces
ice forms that coat structures, such as power lines and
motorways.

Northward advection of warm air, as depicted in
Figure 1, is the most common circulation pattern
associated with warm fronts, but not the only one.
Westward advection of relatively warm air from the
Atlantic Ocean, for example, followed by a recircula-
tion can produce a warm front that progresses in a
southerly direction, which is referred to as a backdoor
warm front. Another type of warm front can be
produced by adiabatic warming of air that descends
along the eastward-facing lee slopes of the Rocky
Mountains. The leading edge of this descending air,
referred to as aChinook front,will either remain along
the Front Range of the Rocky Mountains or progress
into the Great Plains as a warm front, if the cold air
ahead of it is displaced eastward.

Stationary Front

A stationary front represents a transition zone be-
tween cold and warm air masses that does not exhibit
significant motion toward either air mass. It may also
be referred to as a quasi-stationary front. This type of
front may simply reflect a change in the synoptic scale
circulation pattern that halts the translation of either a
cold or a warm front, or the heterogeneity of the
Earth’s surface may provide conditions that fix a
frontal transition zone to a preferred location. Coastal
zones, zones separating relatively warm oceanic air
from colder continental air in winter, provide an
environment that promotes the formation of a quasi-
stationary front, referred to as a coastal front. Favored
locations are along the east coast of the United States,
from Maine to the Carolinas, and the Texas coast.
Although these fronts exhibit transition zones that are
comparable to those of a cold front, they are of limited
extent, ranging from 200–600 km, and of limited
duration, lasting up to a day or less. The frontal zone is
maintained by convergence of relatively warm moist
air from the ocean toward the relatively dry continen-
tal air, with a clockwise shift in the wind across the
front. This situation often results in a band of
precipitation, parallel to the front, with the maximum
precipitation occurring on the cold side, and possibly a
transition from frozen precipitation to rain on the
warm side.

Occluded Front

The development of an occlusion or occluded front is a
process that increasingly cuts off the low-level supply
of relatively warm air by vertical uplift, as depicted in
Figure 1. The occluded front is denoted on the surface
map by alternating triangles and semicircles that point
in the direction of movement. According to the
Norwegian model, depicted in Figure 1, a cold
occlusion occurs when the advancing cold air mass,
behind the cold front, overtakes the less-cold receding
air mass ahead of the warm front. The receding cool
air is less dense than the advancing cold air and is
forced to rise, as shown in Figure 1, to maintain a
hydrostatically stable environment. At low levels, cold
air continues to advance as a cold front and replaces
cool receding air. As a consequence, the wind temper-
ature and pressure changes across the frontal zone are
as with a cold frontal passage, although less pro-
nounced.Thewarm front lifted aloft, designated as the
occluded front in Figure 1, advances with the advance
of the surface-based cold air mass. The precipitation
pattern is related to stratiform clouds, as in the case of
a warm frontal passage, but tends to be displaced over
the cold surface air. This type of synoptic evolution
would tend to be most evident when cold continental
air behind the cold front overtakes receding cold air
that either has beenwarmed by a longer residence time
over the continent or had originally acquired charac-
teristics of a relatively warmer maritime environment.

The counterpart of the cold occlusion in the
Norwegian model is the warm occlusion, depicted in
Figure 3. The thermal characteristics are now re-
versed: the advancing cold air is warmer and less dense
than the receding cold air and, upon merger, the cold
front is lifted aloft. This process constitutes a warm
front occlusion, and the cold front aloft is designated
as the occluded front. The surface characteristics tend
to reflect a warm frontal passage, but the cold front

Cold air

Occluded front

Cool air

Figure 3 Warm front type of occlusion.
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aloft may, however, produce more upper-level con-
vective activity than is usually associatedwith a typical
warm front. This type of occlusion could be expected
when cold air of maritime origin enters northerly
portions of western coastlines as a cold front, and then
overtakes colder continental air further inland. The
Pacific Northwest, and the west-coastal regions of
northern Europe, represent favored locations for this
to occur.

It has, however, become apparent in recent years
that the Norwegian model of an occluded front does
not represent the only three-dimensional atmospheric
structure when cold fronts and warm fronts appear to
merge. Other synoptic processes can provide surface
signatures that resemble the occlusion depicted in
Figure 1. A cold front in a marine cyclone, for
example, may separate or fracture from its union
with a warm front in the low center, and then travel
along the surface position of the warm front. This
process duplicates the increasing separation of the low
center from the triple point,where the cold,warm, and
occluded fronts meet. Another process that may
appear to be an occlusion occurs when an upper-level
front, not originally part of the surface wave cyclone
system, descends into the region where the cold and
warm fronts are starting to merge. Passage of the
upper-level front above the receding cold air mass
provides a synoptic structure similar to a warm front
occlusion. The upper-air observing network is not
sufficiently dense to provide an unambiguous distinc-
tion between the various scenarios presented. Refine-
ment of the Norwegian model of an occlusion by the
documentation of other physically consistent physical
processes that have the appearance of an occlusion,
their preferred locations, and their frequency of
occurrence are topics of current research interest.

Upper-Level Front

Anupper-level front, or an upper tropospheric front, is
a transition zone exhibiting a sharp thermal contrast
that may extend from the tropopause down to 2 or
3 km above the ground. Upper-level fronts are not
usually associated with the type of weather that
characterizes surface fronts. Clear-air turbulence and
tropospheric-stratospheric exchange are often defin-
ing characteristics that distinguish upper-level fronts.
Temperature changes within an upper-level frontal
system are associated primarily with dry adiabatic
compression; condensation and radiative heating are
considered to be secondary factors in the maintenance
of themature front displayed inFigure 4. The potential
temperature y is introduced to characterize the dry
adiabatic processes associated with this frontal sys-

tem. It is defined as

y ¼ T
p0
p

� �R=cp

½2�

whereT is the absolute temperature, p the pressure, p0
a constant reference pressure, and R=cp denotes the
ratio of the gas constant to the specific heat of air at
constant pressure. Potential temperature is conserved
under dry adiabatic displacements of air parcels:
temperature increases with descent to higher pressure
and decreases during ascent to lower pressure. Poten-
tial temperature increases with decreasing pressure
(increase in altitude) to maintain a hydrostatically
stable atmospheric environment. As a consequence,
stratospheric air can be identified with relatively large
values of y.

The mature upper-level frontal structure displayed
in Figure 4, shows a frontal zone depicted by the
concentration of potential temperature isotherms. It is
approximately 100–200 kmwide, and exhibits a slope
dz=dy � 1 : 100. This structure is not described as
either a cold or awarm front, but exhibits qualities of a
quasi-stationary front that moves parallel to itself.

Superposed on this front and jetstream system is a
transverse or cross-front circulation, which is dis-
played in Figure 5. This circulation cannot be ob-
served, because the magnitude of the velocities is
smaller than can be resolved by current measurement
techniques. Its existence is based on theoretical work,
and the position of the circulation cell and its
properties are extracted from numerical model simu-
lations. The circulation on the cold side of the front is
notwell defined by these simulations and, accordingly,
is omitted from the figure. The circulation displayed in
Figure 5 does provide a consistent explanation of how
the upper-level front is maintained, and why strato-
spheric constituents, such as ozone and high-level
radioactivity from nuclear explosions, can be ob-
served in the lower troposphere.

The subsiding branch of the circulation cell main-
tains the most prominent characteristics of the upper-
level front that are revealed in Figure 4. In particular,
the descent of stratospheric air within a narrow
pocket, called a tropopause fold, provides observa-
tional evidence of strong subsidence that extends
downward to low tropospheric levels. This downward
motion is also responsible for the thermal contrast
across the front and for the slope that characterizes the
fold and the potential temperature isotherms that are
contained within it. The thermal contrast across the
front is maintained by adiabatic compressional heat-
ing below the jet axis in the subsiding branch of the
cell, with relatively less vertical motion and corre-
sponding temperature change on the cold side of the
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front. This feature of the circulation has the effect of
concentrating the thermal gradient within the fold.
The sloping alignment of the isotherms arises because
the differential vertical motion field tilts the potential
temperature isotherms fromahorizontal alignment, at
upper levels, into the one that displayed in Figure 4.

Thermal wind balance, expressed by eqn [1],
provides the explanation for the high-speed jet flow
above the frontal zone. In this example, the sharp
thermal gradient across the front produces a relatively
strong jet that flows southward. Two characteristic
features of an upper-level front exhibited in Figure 4
are cyclonic shear, a wind shift that promotes a
counterclockwise turning of the wind across the front,
and the intersection of y and p-surfaces, which charac-
terizes a baroclinic atmosphere. These two features are
always associated with the development and enhance-
ment of a prominent upper-level jet and frontal system,
andwith surface-based fronts that extend to the upper
troposphere (see Figure 2).

Small-Scale Fronts

Small-scale fronts occupy a relatively limited horizon-
tal domain, have relatively short lifetimes and are
surface-based phenomena. Because they exist only for
a fewminutes to a few hours, the Coriolis force is not a

significant factor, but the nonhydrostatic acceleration
may be important in the dynamics of these fronts.

Sea Breeze Fronts

See breeze fronts are most prominent in the warm part
of the year, when daytime heating creates higher
temperatures over the land than over the water. A
pressure gradient, which develops in response to this
differential heating, drives an onshore flow at low
levels, with a return flow at about 1–2 km above the
surface. The sea breeze front is characterized by both a
sharp temperature drop of a few degrees centigrade or
more, and a marked increase in the humidity, that can
occur over a horizontal distance of a kilometer or less.
Inland penetration of the sea breeze front, 10 km or
more, may be opposed by an offshore wind ahead of
the front, and by turbulent convective mixing over
land, which tends to smooth the temperature and
humidity differences across the frontal zone.

Density Fronts

Density fronts represent the leading edge of density or
gravity currents, driven by the upstream release of
relatively cold high-density air. A pressure gradient
that is directed away from the source drives the
motion. The situation is similar to the instantaneous
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release of water from a dam. Two prominent density
fronts are gust fronts and drainage fronts.

Gust front The gust front develops from evaporative
cooling associated with precipitation below large
convective clouds. Its vertical extent is limited by the
height of the cloud base, usually below 2km. Temper-
ature changes as high as 101Cover a few tens ofmeters
can occur during severe thunderstorm activity, and the
wind gusts may represent a danger to aircraft that
attempt to land on runways where gust fronts are
evident.

A gust front will last onlyminutes or tens ofminutes
if the cold air moves away from its source. It may,
however, persist for a few hours or more if the cold air
below the cloud base moves with the convective
system. Relatively warm, moist air ahead of the front
moves up and along the frontal surface to the cloud
base, to provide the necessary fuel to continue the
convective activity and sub-cloud precipitation that
ultimately drives the gust front.

Drainage front A drainage front is the leading edge
of downslope drainage of cold air from high eleva-
tions. It may then be referred to as a density front as it
continues to progress along relatively level terrain.
Drainage currents develop at night, and the most
favorable conditions for occurrence are usually met
during the fall when clear skies and calm or relatively
light ambient wind conditions prevail. A pressure
differential develops between the air over the slope and
air at the same level over the level terrain. This pressure
gradient force, together with gravity, drives a down-
slope cold current of air with a temperature differen-
tial at its leading edge. The distinguishing charac-
teristics of the topography and the depth of radiatively
cooled air along the slope will determine the frontal
characteristics. Compressional heating during descent
will also modify the cold temperatures behind the
front, but temperature drops of 51C are not uncom-
mon after frontal passage. Humidity changes are
usually not considered a significant factor in this type
of front, but relatively light and gusty winds of about
5m s�1 are often encountered.

z

Active   mixing   and   exchange  layer

Radioactivity

Ozone

J

Figure 5 Schematic illustration of the transverse secondary circulation associated with an upper-level front, as shown in Figure 4.

(Adapted with permission from Danielson EF (1968) Stratospheric–tropospheric exchange based on radioactivity, ozone and potential

vorticity. Journal of the Atmospheric Sciences 25: 502–518.)

812 FRONTS



See also
Boundary Layers: Neutrally Stratified Boundary Layer.
Clouds: Cumuliform. Cyclogenesis. Cyclones, Extra
Tropical. Density Currents. Frontogenesis. Gust
Fronts. Jet Streaks. Stratosphere–Troposphere
Exchange: Local Processes. Synoptic Meteorology:
Weather Maps. Turbulence and Mixing.
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Introduction

TheGaia hypothesis postulates that theEarth’s surface
is maintained in a habitable state by self-regulating
feedback mechanisms involving organisms tightly
coupled to their environment. The concept is based
on several observations:

� The atmosphere is in an extreme state of thermo-
dynamic disequilibrium owing to the activities of
life, yet aspects of its composition are remarkably
stable.

� Present conditions at the surface of the Earth are
close to optimal for the dominant organisms.

� Life has persisted for over 3.8 billion years despite
increasing solar luminosity and variable exchange
of matter with the inner Earth.

� The Earth system has repeatedly recovered from
massive perturbations.

The Daisyworld model demonstrated that planetary
self-regulation can occur without teleology, in a
manner consistent with natural selection. Since the
origin of life, organisms have had a profound effect on
the Earth’s atmospheric composition and the climate.
The ‘faint young Sun’ was initially counteracted by a
carbon dioxide and methane ‘greenhouse’ atmos-
phere. The biological amplification of silicate rock
weathering has progressively reduced the carbon
dioxide content of the atmosphere and acted as a
long-term climate stabilizer. Atmospheric oxygen
rose in a stepwise fashion toB21%of the atmosphere,
about which it has been tightly regulated for the
past 350million years. Feedbacks involving terrestrial
and marine biota also affect the climate over
shorter time scales. The predominance of positive
feedback in the recent glacial–interglacial cycles sug-
gests that the Earth system is nearing a transition
to an alternative state. Eventually, self-regulation will
collapse and the Earth will be sterilized, but this is
unlikely to occur for at least another 0.5–1.2 billion
years.

Earth’s Remarkable Atmosphere

TheGaia hypothesis arose from the involvement in the
1960s space program of the British independent

scientist and inventor James Lovelock. Lovelock
was employed by NASA, as part of the team that
aimed to detect whether there was life on Mars.
Lovelock’s interest in atmospheric chemistry led him
to seek a general, physical basis for detecting the
presence of life on a planet. He recognized that
most organisms shift their physical environment
away from equilibrium. In particular, organisms
use the atmosphere to supply resources and as a
repository for waste products. In contrast, the atmos-
phere of a planet without life should be closer to
thermodynamic equilibrium, in a state attributable to
photochemistry (chemical reactions triggered by solar
ultraviolet radiation). Thus, the presence of abundant
life on a planet may be detectable by atmospheric
analysis.

Such an analysis can be conducted from Earth using
an infrared spectrometer (which detects the charac-
teristic absorption due to specific gases) linked to a
telescope. Using this technique with ground-based
telescopes, it was discovered that the atmospheres of
Mars, andVenus are dominated by carbondioxide and
are relatively close to chemical equilibrium, suggesting
that they are lifeless (Figure 1A). In contrast, the
atmosphere of the Earth is in an extreme state of
disequilibrium as a result of the activities of life, in
which highly reactive gases, such as methane and
oxygen, coexist many orders of magnitude from
photochemical steady state (Figure 1A). Large, bio-
genic fluxes of gases maintain this disequilibrium
(Figure 1B). Yet the composition of the Earth’s
atmosphere is fairly stable over geological periods of
time. Lovelock concluded that life must regulate the
composition of the Earth’s atmosphere.

The dominant atmospheric gases, nitrogen and
oxygen, are biological products: atmospheric
oxygen is the result of past photosynthesis, and
denitrifying organisms maintain atmospheric nitrogen
(the thermodynamically stable form of nitrogen in the
presence of oxygen should be as nitrate dissolved in the
ocean). The proportions of these gases are particularly
suited to the dominant organisms. Nitrogen serves to
dilute oxygen, which at 21% of the atmosphere
is just below the level at which fires would disrupt
land life. Yet oxygen is sufficiently abundant to
support the metabolism of large respiring animals
such as humans.

The Earth’s climate is close to optimal for the
dominant organisms, and has always been habitable
despite major changes in the input of energy and
matter to the Earth’s surface. Notably, stars on the
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main sequence, such as the Sun, gradually become
more luminous with time as the hydrogen in their core
is converted to helium (increasing their density and
accelerating the fusion reaction). The Sun was about
25% less luminous when life originated on Earth, over
3.8 billion years ago. This increase in solar output
alone should raise the Earth’s surface temperature by
B201C, but the current average temperature is only
151C. This posed the ‘faint young Sun’ puzzle of why
the early Earth was not frozen. The atmosphere was

probably richer in greenhouse gases, so that the early
Earth’s surface was actually warmer then than it is
now, in which case cooling of the Earth in the face of
warming from the Sun demands an explanation.
Lovelock suggested that life has been regulating the
Earth’s climate together with its atmospheric compo-
sition.

The idea was named ‘Gaia’ after the Greek goddess
of the Earth, by the novelistWilliamGolding. The first
scientific paper presenting ‘Gaia as seen through
the atmosphere’ was published in 1972. Lovelock
then sought an understanding of the organisms that
might be involved in regulating their planetary envi-
ronment. Lynn Margulis contributed her intimate
knowledge of microorganisms, and the diversity of
chemical transformations that they mediate, to the
development of what became the Gaia hypothesis
that ‘the environment at the surface of the Earth is
homeostated by and for the benefit of, the biota’. The
Gaia hypothesis was used to make predictions – for
example, that marine organisms would make volatile
compounds that can transfer essential elements from
the ocean back to the land. Lovelock and colleagues
tested this ancillary hypothesis on a scientific cruise
between England and Antarctica. They discovered
that the biogenic gases dimethylsulfide and methylio-
dide are the major atmospheric carriers of the sulfur
and iodine cycles.

Later, the Gaia hypothesis was extended to
include regulation of much of the chemical composi-
tion of the ocean. Then evidence began to accumulate
indicating that the Earth has remained habitable
despite major, periodic disruptions, including the
impact of planetesimals (massive meteorites) and
volcanic outbursts. These events appear to have
caused mass extinctions and climate change and yet,
in all cases, diverse, widespread life and a tolerable
climate returned within a short period of geological
time. This supports the notion that the Earth is a self-
regulating system.

Daisyworld

The Gaia hypothesis was greeted with hostility from
many scientists and leading scientific journals, partly
because of its mythological name. The first scientific
criticism of the hypothesis was that it implies teleol-
ogy, some conscious foresight or planning by the biota.
Most subsequent criticisms have focused on the need
for evolutionary mechanisms by which regulatory
feedback loops could have arisen or be maintained.
The Earth is not a unit of natural selection, and hence
planetary self-regulation cannot have been refined in
the same way as an organism’s physiology. This poses
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the challenge of explaining how planetary self-regu-
lation could arise.

TheDaisyworldmodel (Figure 2)was formulated to
demonstrate that planetary self-regulation does not
necessarily imply teleology. It provides a hypothetical
example of climate regulation emerging from compe-
tition and natural selection at the individual level.
Daisyworld is an imaginary gray world orbiting a star
like our Sun that gets more luminous with time. The
world is seeded with two types of life, black and white
daisies. These share the same optimum temperature
for growth of 22.51C and limits to growth of 51C and
401C. When the temperature reaches 51C, the first
seeds germinate. The paleness of the white daisies
makes them cooler than their surroundings, hindering
their growth. The black daisies, in contrast, warm
their surroundings, enhancing their growth and re-
production. As they spread, the black daisieswarm the
planet. This further amplifies their growth and they
soon fill the world. At this point, the average temper-
ature has risen close to the optimum for daisy growth.

As the Sun warms, the temperature rises to the point
where white daisies begin to appear in the daisy
community. As it warms further, the white daisies gain
the selective advantage over the black daisies and
gradually take over. Eventually, only white daisies are
left. When the solar forcing gets too much, the white
daisies die off and regulation collapses. While life is
present, the system is a very effective temperature
regulator. Solar input changes over a range that should
heat the planet’s surface by 551C, yet it is maintained
within a few degrees of the optimum temperature for
daisy growth.

Daisyworld illustrates the importance of feed-
back mechanisms for planetary self-regulation. Feed-
back occurs when a change in a variable triggers a
response that affects the forcing variable. Feedback is
said to be ‘negative’ when it tends to damp the initial
change and ‘positive’ when it tends to amplify it. The
initial spread of life is amplified by an environmental
positive feedback – the warming due to the spread of
black daisies enhances their growth rate. The long
period of stable, regulated temperature represents a
predominance of negative feedback. However, if the
temperature of the planet is greatly perturbed by the
removal of a large fraction of the daisy population,
then positive feedback acts to rapidly restore com-
fortable conditions and widespread life. The end of
regulation is characterized by a positive feedback
decline in white daisies – solar warming triggers a
reduction in their population that amplifies the rise in
temperature.

The modeling approach pioneered in Daisyworld
provided the beginnings of a theoretical basis for
understanding planetary self-regulation. Subsequent-
ly, Lovelock began to refer to Gaia as a theory, in
which self-regulation is understood as a property of
the whole system of life tightly coupled to its environ-
ment. This replaced the original hypothesis that
regulation is ‘by and for the biota’. The term ‘homeo-
stasis’, which refers to regulation around a fixed set
point, was also revised, with Margulis’ more appro-
priate suggestion of ‘homeorrhesis’, which describes
regulation around an evolving point.

Regulation of Atmospheric
Composition over Earth History

The Daisyworld modeling approach was adapted to
study the regulation of climate and atmospheric
composition on the early Earth, through the Archean
Eon (4.0–2.5 billion years ago) and the first half of the
Proterozoic Eon (2.5–1.5 billion years ago). The
Archean was characterized by chemically reducing
conditions at the Earth’s surface and the Proterozoic
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A thought experiment to demonstrate that planetary self-regulation
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by oxidizing conditions. Lovelock proposed that
methane was the chemically dominant gas in the
Archean atmosphere (whereas oxygen dominated sub-
sequently).Themodel comprised abacterial ecosystem
of oxygen-liberating photosynthesizers (cyanobacteria),
methanogens, and aerobic consumers, together with
atmospheric carbon dioxide, methane, and oxygen,
and global temperature. The carbon fixed in photo-
synthesiswas returned either by aerobic respiration, as
carbon dioxide, or by methanogenesis, as a mixture of
methane and carbon dioxide. An atmosphere domi-
nated by carbon dioxide andmethane with only traces
of oxygen was predicted. This could have provided
sufficient ‘greenhouse effect’ to counteract the faint
young Sun.

Although oxygen-liberating photosynthesis origi-
nated early in the history of life, oxygen remained
scarce (o0.0008 atm; 0.8 hPa) in the Archean atmos-
phere, because it was consumed in the oxidation of an
abundant supply of reduced matter that was contin-
ually being replenished by geological activity. The
weathering profiles of ancient soils indicate that
oxygen rose to 42 hPa and probably 430 hPa in a
global oxidation event 2.2–2.0 billion years ago.
Lovelock’s model predicted this rise of oxygen as the
supply of reducedmatter began to be exhausted. Once
there were twomolecules of oxygen for each molecule
of methane, oxygen became the chemically dominant
gas. Methane rapidly disappeared from the atmos-
phere, reducing the greenhouse effect and cooling
the planet, perhaps causing the Huronian glacia-
tion which occurred roughly 2.3 billion years ago.
However, climate regulation soon recovered in the
model, with carbon dioxide as the dominant green-
house gas.

Since the Archean, long-term climate regulation is
thought to have hinged on changes in the carbon
dioxide content of the atmosphere, and the resultant
‘greenhouse effect’ on Earth’s temperature. Over
million-year time scales, the carbon dioxide reservoir
in the atmosphere and ocean is primarily determined
by the balance of input from volcanic and metamor-
phic degassing and removal in the process of weath-
ering of silicate rocks on land and subsequent
formation of carbonate rocks in the ocean. A chemical
negative feedback mechanism exists whereby increas-
es in planetary temperature are counteracted by
increases in the rate of silicate rock weathering and
the uptake of carbon dioxide. However, the rate of
rockweathering is greatly enhanced by the activities of
soil microbes, lichens, mosses, and vascular plants.
This biological amplification offers the potential for
more responsive stabilization of the Earth’s tempera-
ture. For example, rising carbon dioxide and temper-
ature trigger increased plant growth, microbial

respiration, and weathering that reduces the carbon
dioxide content of the atmosphere. Over Earth’s
history, progressively stronger biological amplifica-
tion of rock weathering has evolved, culminating in
the rise of vascular plants over the last 420 million
years. Biologically amplified weathering has made
carbon dioxide relatively scarce in the Earth’s atmos-
phere (Figure 1A), and cooled the Earth by 20–401C,
thus counteracting the effect of increasing solar
luminosity.

Over the last B350 million years the oxygen
content of the atmosphere has been remarkably stable.
Continuous records of charcoal and vegetation indi-
cate that there has been sufficient oxygen to sustain
natural fires throughout this time, but fires have never
been so frequent as to prevent forests regenerating.
This sets bounds of roughly 15–25% on the oxygen
content of the atmosphere. The average amount of
time an oxygen atom spends being recycled between
organisms, atmosphere, and ocean before being re-
moved in oxidation of rocks is about 3 million years.
Hence, the whole oxygen reservoir has been replaced
over 100 times, while its size has remained close to
constant. This demands that some self-regulating
feedback mechanisms exist. The removal process for
oxygen is saturated: virtually all the reduced matter
exposed gets oxidized. Hence regulation of atmos-
pheric oxygen is thought to involve negative feedback
on the source of oxygen. Over geological time, the
burial flux of organic carbon in new sediments
corresponds to the small excess of oxygen liberated
in photosynthesis over that consumed in respiration,
which provides a net source of oxygen to the atmos-
phere. This is balanced by a net sink due to the
oxidation of organic matter in sedimentary rocks
exposed on the continents.

The burial of organic carbon can be somewhat
enhanced under anoxic conditions in sediments,
probably because anaerobic consumers are less effi-
cient than their aerobic counterparts. Hence declining
oxygenmay be counteracted bymore efficient organic
carbon burial, but the effect appears to be too
weak to stabilize atmospheric oxygen. Marine pro-
ductivity has a more dominant effect on organic
carbon burial, and it in turn depends on the supply of
nutrients, especially phosphorus, over long time
scales. The burial of phosphorus in organic matter
and bound to iron minerals is less efficient under
anoxic conditions. Hence, declining oxygen should
cause more phosphorus to be recycled to the water
column, fuelling more productivity and increased
organic carbon burial. However, such mechanisms
are ineffective against rising oxygen, because it tends
to remove anoxia from the ocean, thus switching off
the feedback.
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Weathering of phosphorus-bearing rocks is the
ultimate source of all phosphorus supplied to the
land and ocean. Vascular plants amplify the rate of
rock weathering by about an order of magnitude
relative to primitive land biota (e.g., lichen and moss
cover) and the effect is greatest for treeswith their deep
rooting systems. Increasing atmospheric oxygen tends
to suppress vegetation by inhibiting photosynthetic
carbon fixation and increasing fire frequency. Fires
tend to trigger ecological shifts from forest to faster-
regenerating ecosystems such as grassland. By these
mechanisms, rising oxygen should suppress rock
weathering and hence reduce the supply of phospho-
rus to the land and ocean, in turn suppressing
productivity and organic carbon burial. This mecha-
nism is extremely effective at regulating against rising
oxygen because of the high sensitivity of fire frequency
to rising oxygen. Furthermore, declining oxygen is
counteracted by increases in plant productivity, rock
weathering, phosphorus supply, and organic carbon
burial.

Contemporary Climate Feedbacks

As well as its role in regulating oxygen and carbon
dioxide over long time scales, vegetation also has self-
sustaining short-term feedback effects on climate.
Globally, plants increase land surface evapotranspira-
tion and continental precipitation and reduce temper-
ature variability. These climatic effects increase net
primary productivity and biomass, and without them
it has been predicted that the boreal, Amazonian, and
South East Asian forests would disappear. Such
hysteresis of the vegetation–climate system may also
exist in the south-western Sahara, where models
predict that vegetation could sustain itself, by main-
taining a wetter climate. Vegetation tends to cool the
Tropics and temperate regions but warm the high
northern latitudes.

The trees of the boreal forests possess traits of
shedding snow and darkness that give them a low
albedo (reflectivity) andmake themwarmer than their
surroundings. In this respect they can be likened to the
dark daisies of Daisyworld. The presence of forest
warms the region, and the Northern Hemisphere, by
B41C in winter. The system shows constrained
positive feedback that amplifies regional temperature
changes. Six thousand years ago, orbital forcing
warmed the high-latitudes and triggered the boreal
forest to spread northward and amplify the initial
warming.One hundred and fifteen thousand years ago
the opposite occurred; orbital forcing cooled the high-
latitude summer, triggering a southward spread of the
tundra, replacing the boreal forest. The resulting
increase in albedo because of unmasked snow cover

would have added to regional and planetary cooling
and may have been critical for the inception of ice
sheets.

Marine phytoplankton cool the climate by pump-
ing down atmospheric CO2 and producing dime-
thylsulfide (DMS), which ultimately increases
cloud albedo. DMSP (dimethylsulfoniopropionate),
the precursor of DMS is produced in widely varying
amounts by different species of marine phytoplank-
ton. Its conversion to DMS is catalyzed by the enzyme
DMSP lyase and is enhanced by virus infection
and zooplankton grazing. The main reservoir of
DMS is in the ocean, where it is consumed by bacteria
and oxidized to dimethylsulfoxide (DMSO). Air–sea
exchange results in a net flux of DMS to the
atmosphere (Figure 1B). In the atmosphere, DMS is
oxidized in a range of reactions. The main pathway
generates sulfur dioxide, which is further oxidized to
sulfate, and can ultimately contribute to sulfate
aerosol formation. The aerosol particles grow,
often in combination with another biogenic gas,
ammonia (Figure 1B), to become cloud condensation
nuclei (CCN). Increases in the number density of CCN
make clouds more reflective, increasing the scattering
of solar radiation back to space and thus causing
cooling.

Temperature both directly affects phytoplankton
growth and determines the degree of stratification in
the ocean water column, and hence the supply of
nutrients to the surface layers. Therefore, there is the
potential for feedback on climate involving the growth
of DMS-emitting phytoplankton. Originally, a nega-
tive feedback was proposed whereby a reduction in
temperature and light beneath clouds reduces photo-
synthesis and restricts the spread of DMS producers.
Subsequent modeling elaborated this proposal with
the observation that the formation of a thermocline at
B101C limits the supply of nutrients to the
surface ocean, thus setting an effective optimum for
plankton growth. Beneath this temperature lies the
originally proposed regime of negative feedback.
Above it, however, an increase in temperature may
be amplified by a decrease in photosynthetic produc-
tion, DMS production, and cloud reflectivity, gener-
ating positive feedback. Evidence that DMS
production in the SouthernHemisphere was enhanced
during the last Ice Age indicated that the feedback
may then have been negative but switched to
become positive as temperatures rose at glacial
termination.

The cycles of ice ages and interglacial warm periods
that have characterized the lastB2.5 million years of
Earth history appear, at first glance, to conflictwith the
view that the Earth is self-regulating. The trace gas
composition of the atmosphere, including CO2, CH4,
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and N2O, has varied. However, the recently extended
Vostok ice core record reveals that for the last four
glacial cycles the frequency, bounds, and amplitude of
the oscillations have been remarkably constant, de-
spite highly variable forcing (solar insolation). This is
indicative of a regulatory system, but one that is near
the limits of its operation, with positive feedback
coming to dominate over negative feedback. The long-
term climate regulator involving biological amplifica-
tionof silicate rockweathering is near the lower bound
of its operation, having reduced atmospheric CO2

near to the lower limit for the growth of most plants
(which lack a CO2-concentrating mechanism). Posi-
tive feedback is apparent in the onset and termination
of ice ages, including the aforementioned changes in
boreal forest cover and DMS emissions. Hence,
humans may be perturbing the Earth system when it
is unusually vulnerable and has the potential to switch
to a different state.

At present, members of both the marine and
terrestrial biota are involved in processes that are
removing more than half of the excess carbon dioxide
released to the atmosphere each year by human
activities. This negative feedback is not sufficient to
prevent the carbon dioxide content of the atmosphere
from rising, but it is damping the rate of rise.
Atmospheric CO2 and global warming are expected
to peak some time in the present millennium, the
precise time depending on how fast the fossil fuel
reserve is burned. Over the followingB10 000 years,
the acidic CO2 added to the atmosphere by human
activities should be neutralized by the dissolution of
carbonate sediments in the ocean and the weathering
of carbonate rocks on land, processes that increase the
alkalinity of the ocean. However, major reorganiza-
tions of the climate system could occur in the mean-
time. Boreal forests are already amplifying winter
warming in the northern high latitudes. Global
warming and resultant stratification of the ocean
may trigger a decline in phytoplankton and their
cooling effect via DMS emissions, providing a further
positive feedback.

Although human perturbation may shift the Earth
system to a state that is uncomfortable for us as a
species, it is highly unlikely to destroy all life on Earth.
The mechanism of long-term climate regulation

involving the biological amplification of silicate rock
weathering appears to be extremely robust to short-
term perturbation. It should continue to gradually
reduce the CO2 content of the atmosphere as
solar luminosity increases, and this will encourage
plants with CO2-concentrating mechanisms to be-
come dominant. Life may eventually perish as a
result of lack of CO2, overheating by the Sun, or
catastrophic perturbation. However, models based on
the current biota and feedback mechanisms predict
that complex life will last at least another 0.5–1.2
billion years.

See also

Biogeochemical Cycles: Carbon Cycle; Nitrogen Cycle;
Sulfur Cycle. Carbon Dioxide. Climate Prediction
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andAlbedo, Surface.Teleconnections.Tropospher-
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Introduction

The atmospheric general circulation encompasses the
planetary-scale wind systems that shape the Earth’s
climate. Features of interest include the belts of mid-
latitude westerlies and subtropical trade winds at the
Earth’s surface, the jet streams aloft, and the storm
tracks.

The general circulation can be partitioned into
zonally symmetric and eddy components, where
‘zonally symmetric’ denotes longitudinally averaged
(i.e., averaged around latitude circles) and ‘eddy’
denotes departure from the longitudinal average. The
zonally symmetric flow is a function of latitude and
height only, and certain properties of the eddies such as
their root mean squared amplitude in various fields
can also be longitudinally averaged and displayed in
the form of two-dimensional (latitude versus height)
cross-sections. Understanding the climatology of such
zonally averaged fields is the most fundamental
problem of the general circulation.

Figure 1 shows the zonally symmetric component of
the zonal wind and temperature fields for (A) Decem-
ber through February (DJF) and (B) June through
August (JJA). At the Earth’s surface, easterly (i.e., east
to west) ‘Trade Winds’ prevail equatorward of 301
latitude, while westerlies prevail at higher latitudes.
The westerlies strengthen with height and peak at the
10 km level just poleward of 301 latitude. These zonal
wind maxima, commonly referred to as the ‘tropo-
spheric jet streams’ formpart of the boundary between
troposphere and stratosphere, with dry, ozone-rich
stratospheric air above them and on their poleward

flank and moist, ozone-poor tropospheric air below
and on their equatorward flank. (Tropospheric and
stratospheric air can be distinguished inFigure 1by the
marked difference in lapse rate, which determines the
vertical spacing between the isotherms.) The strength
of the jet streams varies with season: They are
strongest during winter, when the north–south tem-
perature gradient in the troposphere is strongest. An
even stronger westerly ‘polar night jet’ is observed
in the middle and upper stratosphere of the win-
ter hemisphere, separating the cold polar cap region
from the less cold sunlit portion of the hemi-
sphere. The Southern Hemisphere polar night jet
is much stronger than its Northern Hemisphere
counterpart.

Figure 2 shows the zonally averaged mean merid-
ional (i.e. north/south) circulations for the same
seasons as Figure 1 and also for the annual mean.
The trade wind belt is characterized by equatorward
flow at the Earth’s surface and the belt of surface
westerlies at higher latitudes by poleward flow. These
low-level meridional flows constitute the lower
branches of closed circulation cells extending through
the depth of the troposphere. By far the strongest of
these cells is the tropical ‘Hadley cell’, whose rising
branch delineates the belt of heaviest tropical rainfall
and whose sinking branch is marked by dry condi-
tions. Weaker, ‘Ferrel cells’ in which air circulates in
the opposite sense to theHadley cell, are discernible in
the mid-latitude circulation.

The rising branch of the Hadley cell is located at
tropical latitudes of the summer hemisphere, while the
sinking branch is at cooler subtropical latitudes of the
winter hemisphere. Such circulations, characterized
by the risingofwarmer air and the sinkingof cooler air,
are said to be ‘thermally direct’, regardless of their
configuration or where they occur in the atmosphere.
Likewise, circulations like the Ferrel cell, marked by
the rising of cooler air and the sinking of warmer air,
are said to be ‘thermally indirect’.
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The circulation cells pictured in Figure 2 represent
seasonal averages and zonal averages of wind meas-
urements at fixed points in space. The circulation
patterns derived from such measurements are
said to be ‘Eulerian mean circulations’. In contrast,
if one were to infer the sense of the mean meridional
circulations by tagging millions of air parcels, track-
ing them as they move through the atmosphere
over an extended period, and seasonally and zonally
averaging these air parcel trajectories, one would
obtain quite a different impression of the mean
meridional circulations. In this so-called ‘Lagrangian
mean circulation’ the Hadley circulations extend into
high latitudes and the mid-latitude Ferrel cells virtu-
ally disappear, as indicated on the right-hand side of
Figure 3.

Balance Requirements

The general circulation must satisfy a number of so-
called ‘balance requirements’ relating to fundamental
conservation laws, posed as statements to the effect
that for any specified region such as the tropics or the
Arctic, in the time mean over a sufficiently long time
(such as a season), sources, sinks, and imports or
exports of conserved quantities must sum to zero. For
the atmosphere as a whole, sources must equal sinks.

Available Potential and Kinetic Energy

Frictional dissipation observed within the planetary
boundary layer and within patches of turbulence
within the free atmosphere is continually depleting the
kinetic energy of planetary-scale wind systems. Half

Figure 1 Pole-to-pole cross-sections showing zonally averaged and time-averaged temperature (dashed contours, 51C interval) and

zonal wind (solid contours, 5ms�1 interval) for the seasons December through February (A) and June through August (B). The 01C
isotherm is thickened and regions of easterly winds are shaded. Based on NCEP/NCAR Reanalyses. (Diagram provided by Socorro

Medina.)
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the energywould be gonewithin amatter of days were
there not some mechanism continually operating to
restore it. The source of this kinetic energy is the

‘available potential energy’ inherent in the distribu-
tion of atmospheric mass. Available potential energy
depends upon the height of the atmosphere’s center of
mass relative to mean sea level. It is released whenever
the center of mass is lowered through the sinking of
colder, denser air and the rising of warmer, less dense
air in thermally direct circulations like the Hadley
cell. Such circulations also act to flatten out the
potential temperature surfaces, thereby weakening
existing horizontal temperature gradients on pressure
surfaces.

The kinetic energy released by such thermally direct
circulations is imparted not to the vertical component
of the motion, which is so small as to be inconsequen-
tial with respect to kinetic energy, but directly to the
horizontal component of the flow, which is pushed
across the isobars from higher to lower pressure by the
horizontal pressure gradient force. Such cross-isobar
flow toward lower pressure is prevalent close to the
Earth’s surface, where the dissipation of kinetic energy
is most intense. For example, the trade winds in the
lower branch of the Hadley cell (Figure 2) are directed
down the pressure gradient, out of the subtropical high
pressure belt and into the belt of low pressure that
coincides with the rising branch of the Hadley cell in
equatorial latitudes. The poleward flow in the upper
branch of the Hadley cell is also down the pressure
gradient, as evidenced by the existence of westerly
winds at that level, which implies (from the geostro-
phic wind equation) that pressure decreases with
latitude. Thermally direct circulations like the Hadley
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cell, which are characterized by the rising of warmer,
lighter air and the prevalence of cross-isobar horizon-
tal flow toward lower pressure, release available
potential energy and convert it to the kinetic energy
of the horizontal flow. Circulations like the Ferrel cell,
which operate in the opposite sense, are referred to as
‘thermally indirect’. For the atmosphere as a whole,
thermally direct circulations are prevalent. In the
absence of diabatic heating and friction, the sumof the
available potential and kinetic energy is conserved:
e.g., for a thermally direct circulation, the available
potential energy released is equal to the kinetic energy
generated.

Since thermally direct circulations are continually
depleting the atmosphere’s reservoir of available
potential energy reservoir, something must be operat-
ing to restore it. Heating of the atmosphere by
radiative transfer and by the release of the latent heat
of condensation of water vapor in clouds acts to
restore the available potential energy in two ways: (1)
by warming the atmosphere in the tropics (where the
sum of the condensation heating and the absorption of
incoming solar radiation exceeds outgoing infrared
radiation) and cooling it at higher latitudes, where the
reverse is true; and (2) by heating the air in the lower
and middle troposphere, where most of the conden-
sation heating takes place, and cooling it at higher
levels, where infrared cooling to space prevails.
Mechanism (1) acts to maintain the equator-to-pole
temperature contrast on pressure surfaces; and mech-
anism (2) acts to expand the air in the lower tropo-
sphere and compress the air in the upper troposphere,
thereby lifting the air at intermediate levels, which acts
to maintain the height of the atmosphere’s center of
mass against the lowering produced by thermally
direct circulations. Hence, the maintenance of the
atmospheric general circulation requires both hori-
zontal and vertical heating gradients. The above canbe
summarized in terms of a ‘kinetic energy cycle’ as
depicted in Figure 4, with generation of available
potential energy (G) by diabatic heating, conversionof
available potential energy to kinetic energy (C) by
thermally direct circulations, and the dissipation of
kinetic energy (D). In the long term mean, for the
atmosphere as a whole,

G ¼ C ¼ D

The rate of dissipation of kinetic energy is sufficient to
deplete the global reservoir of kinetic energy in only a
week, but if available potential energy as well as
kinetic energy is taken into account, the time scale for
depleting (or recharging) the system is on the order of a
month.

Angular Momentum

The angular momentum of an air parcel is given by
(OR cos fþ u) R cos fdm, where O is the angular
velocity of the Earth’s rotation, R is the radius of the
Earth, f is the latitude and dm is the mass of the air
parcel. Apart from small tidal interactions with the
Moon, the total angularmomentumof the atmosphere
plus oceans plus solid Earth is conserved. The angular
momentum of the ocean is very small, owing to the
inhibition of circumpolar currents by the continents.
Hence, whenever the atmosphere gains angular mo-
mentum it tends to be at the expense of the solid Earth,
and vice versa. A strong correlation between length of
day and atmospheric angular momentum is, in fact,
observed on time scales ranging from days up to a few
years. On longer time scales, slow motions within the
Earth’s molten core also affect the length of day.

Westerly winds circulate around the Earth’s axis in
the same sense as the Earth’s rotation. Hence, air
parcels in the atmosphere’s westerly wind belts rotate
more rapidly than the solid Earth does, and air parcels
in easterly wind belts rotate more slowly. It follows
that the frictional drag that is acting to slow the
tropical trade winds has the effect of transferring
angular momentum from the solid Earth to the
atmosphere. In a similar manner, frictional drag on
the surface westerlies that prevail poleward of 301
latitude transfers angular momentum from the atmos-
phere back to the solid Earth. The torques (force times
distance from the Earth’s axis) that the atmosphere
exerts upon the solid Earth by virtue of the atmospheric
pressure difference between the east and west slopes of
large, north–south oriented mountain ranges like the
Rockies and Andes also transfer angular momentum
between the atmosphere and solid Earth. In the North-
ernHemisphere this effect is of the same sign and similar
in magnitude to that of the frictional torques on the
surface winds. Hence, there exists a balance require-
ment for a poleward transport of angular momentum
within the atmosphere. The transport must be largest
near 301 latitude, which marks the transition between
the tropical trade winds and the mid-latitude surface
westerlies, as depicted in Figure 3.

Angular momentum can be transported poleward
across a latitude circle either by a systematic poleward
flux of atmospheric mass, or by ‘exchange processes’
in which there is no net mass flux but poleward-

C DG
A K

Figure4 Kinetic energycycle showingavailable potential energy

(A) and kinetic energy (K ) reservoirs, the generation of available

potential energy by diabatic heating (G), the conversion due to

thermally direct circulations (C), and the frictional dissipation (D).
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moving air parcels carry with them more angular
momentum (i.e., they have a stronger westerly wind
component) than equatorward-moving parcels. The
netmass flux in the Earth’s atmosphere is very small, as
evidenced by the fact that mean surface pressure over
the region poleward of 301 latitude is not systemati-
cally changing with time and there are no appreciable
internal sources and sinks of atmospheric mass other
than water vapor, which accounts for too small a
fraction of the mass of the atmosphere to yield an
appreciable transport. Hence, exchange processes
must be responsible for the poleward transport of
angular momentum.

The exchange processes, in turn, may be divided
into two kinds: those involving the Eulerian mean
meridional circulations pictured in Figure 2 and those
involving the eddies, as depicted in Figure 3 upper
right. In the annual average, 301 latitude coincides
with the boundary between the Hadley and Ferrel
cells. Hence the mean meridional motions cannot be
contributing to the required poleward transport across
that latitude:The eddiesmust be responsible. The eddy
fluxes, whose distribution is shown in Figure 5 do, in
fact, exhibit a systematic poleward transport of
angular momentum across 301, which turns out to
be just enough to satisfy the balance requirement
inferred from the frictional torques on the surface
winds and the mountain torques. To accomplish the
required transport, the horizontal flow in the eddies
must exhibit a preferred tilt, as pictured inFigure 6 and
such a tilt is, in fact, observed most of the time. It is
evident from Figure 5 thatmost of the poleward flux of
angular momentum takes place around the jet stream
(B10 km) level, where the amplitude of the eddies is
largest and the eastward tilt with increasing latitude is
most pronounced. The Hadley cell is instrumental in
transporting the angular momentum acquired by the
trade winds upward to the jet stream level. The air in
its rising (equatorial) branch contains much more
angular momentum per unit mass than the air in its
sinking (subtropical) branch by virtue of its larger
distance from the Earth’s axis. The vertical exchange

of air parcels of equal mass, but containing differing
amounts of angular momentum, results in a net
upward transport of angular momentum. In a similar
manner, the Ferrel cell is instrumental in transporting
angular momentum downward from the jet stream
level to the mid-latitude surface westerlies where it is
lost to the solid Earth via frictional and mountain
torques. The resulting upward/poleward/downward
transport of angular momentum is depicted in the
upper left quadrant of Figure 3.

Total Energy

Averaged over the year, the net radiation at the top of
the atmosphere is downward at low latitudes and
upward at high latitudes. These local imbalances
reflect the differing meridional profiles of insolation
(incoming solar radiation) and outgoing terrestrial
radiation pictured in Figure 7. The former slopes
steeply downward toward the poles, reflecting the
strong latitudinal dependence of solar zenith angle,
while the latter mirrors the more gently sloping profile
of the infrared radiation emitted to space from clear
air, from cloud tops, and from the underlying surface.
Since the equator to pole temperature gradient is not
observed to be increasing systematically with time,
these local imbalances must be fully compensated by
the poleward transport of energy from the low-
latitude ‘surplus’ region to the high latitude ‘deficit’
region. The transport must be largest in mid-latitudes
where the curves in Figure 7 cross one another.

The atmosphere and oceans both contribute to the
poleward transport of energy. In both media the
transport involves exchange processes, with pole-
ward-moving fluid parcels carrying with them larger
amounts of total energy than equatorward-moving
parcels, by virtue of their having recently been heated
while residing at low latitudes. Both the shallow
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wind-driven gyre circulations and the deeper ther-
mohaline circulation contribute to the oceanic trans-
port: The gyres by transporting warmwater poleward
in the western boundary currents and equal masses of
cooler water equatorward on the eastern side of the
oceans, and the thermohaline circulation by trans-
porting relatively warm surface water poleward and
cold bottom water equatorward, primarily in the
North Atlantic. More than half of the total required
transport is accomplished by atmospheric eddies, in
which poleward-moving air parcels carry with them
greater amounts of sensible and latent heat than do
equatorward-moving parcels.

The thermally indirect Ferrel circulation does not
transport energy poleward across middle latitudes:
When the gravitational potential energy of air parcels
is taken into account as well as the latent and sensible
heat, the equatorward-moving air parcels in its upper
branch carry with them more energy per unit mass
than the warmer, more moist poleward-moving par-
cels in its lower branch. Eastward-moving baroclinic
waves, with wavelengths of B4000 km, are respons-
ible for most of the poleward eddy transport
of sensible and latent heat across middle latitudes.
These waves derive their energy from the prevailing
north–south temperature gradient (see Baroclinic
Instability). At the Earth’s surface they are marked
by intensifying cyclones (gyres that circulate in the
same sense as the Earth’s rotation) attended by sharp
frontal boundaries that separate warm, poleward-
moving airmasses on the cyclones’ eastern flanks from
cold, equatorward-moving airmasses on theirwestern
flanks. The meridional displacements of warm and
cold air masses in the waves serve to sharpen the east–
west temperature gradients. Meanwhile, the rising of
the poleward-flowing warm air masses, in combina-
tion with the sinking of the equatorward-flowing cold
air masses, serves to release available potential energy,

providing the kinetic energy needed to amplify the
waves. Baroclinic waves tilt westward with increasing
height: The wave troughs in the pressure field at the
5 km level overlie the cold air masses at the Earth’s
surface, as pictured in Figure 8.

In the Northern Hemisphere wintertime, planetary-
scale stationary waves (sometimes also referred to as
‘standing eddies’) forced by the large thermal contrasts
between the cold continents and the warmer oceans
and by the existence of the Rockies and theHimalayas
alsomake an appreciable contribution to the poleward
transport of sensible heat (see Stationary Waves
(Orographic and Thermally Forced)). The Icelandic
and Aleutian lows are prominent stationary wave
features in the wintertime mean sea-level pressure
pattern. Poleward flow to the east of these low-level
cyclones carries warm air northward, keepingwestern
Europe and south-east Alaska relatively warm com-
pared to other regions at the same latitude, and the
equatorward flow of cold air to the west of them
contributes to the coldness of eastern Canada and
Siberia. The Northern Hemisphere wintertime sta-
tionary waves tilt westward with height and they
penetrate upward into the stratosphere. The poleward
heat transport by the eddies peaks in mid-latitudes, in
the lower troposphere, as shown in Figure 9 and in the
lower left quadrant of Figure 3.

Water Vapor and Ozone

The mass of water vapor in the atmosphere is not
changing appreciably with time, and the residence
time of individual water vapor molecules in the
atmosphere is only about a week. Hence, for the globe
as a whole, a balance between evaporation and
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precipitation is required on time scales as short as
a few days; but on a regional basis there are large
imbalances. Precipitation exceeds evaporation by a
factor of 2 or more in the equatorial rain belts and in
the mid-latitude storm tracks and an imbalance in the
opposite sense prevails in the subtropical belt, which
encompasses most of the major deserts and cloud-free
maritime anticyclones. The surplus water vapor
acquired by the subtropical atmosphere is transported
poleward and equatorward, as illustrated inFigure 10.
The eddies are responsible for most of the poleward
transport of water vapor into the mid-latitude storm-
tracks, while the steadier trade winds that constitute
the lower branch of the Hadley cell are responsible for
most of the equatorward transport into the tropical
rain belts, as depicted in Figure 3.

Regional imbalances between evaporation and
precipitation also have implications for the oceanic
thermohaline circulation. Excess precipitation fresh-
ens the surface waters, decreasing their density and
thereby rendering them more stably stratified. The
impact of the atmospheric hydrological cycle upon the
oceanic circulation is believed to be particularly
important in the regions of bottom water formation
over the North Atlantic Ocean and the Weddell Sea.

A remarkable feature of the distribution of water
vapor is the dryness of the lower stratosphere, believed
to be a consequence of the Lagrangian mean circula-
tion, in which air parcels enter the stratosphere
through the very cold tropical ‘tropopause’ (Figures
1 and 3) move poleward and eventually re-enter the
troposphere at higher latitudes in discrete intrusions in
the vicinity of the jet stream. The same circulation
carries ozone poleward and downward from its
photochemical source region in low latitudes around
the 30 km level.

What Determines the Character
of the General Circulation?

To understand why the observed planetary-scale wind
systems have the particular geographical and seasonal
dependence and amplitude that they do, scientists rely
upon experience gained fromworking with numerical
models based on the same conservation laws that the
balance requirements considered in the previous
section are based on. When such a model atmosphere
is ‘turned on’, starting from a state of rest (stably
stratified, a horizontally uniform temperature distri-
bution, flat pressure surfaces, and nowind) the tropics
warm and the polar regions cool in response to the
imposed distribution of radiative heating, which is
designed to mimic that in the real atmosphere. As the
tropical atmospherewarms, thermal expansion causes
pressure surfaces in the upper troposphere to bulge
upward relative to the cooling air at the higher
latitudes, as depicted in Figure 11A. The sloping of
the pressure surfaces (downward toward the pole)
gives rise to a poleward flow at the upper levels as
depicted in the figure. The poleward mass flux causes
mass to accumulate and sea-level pressure to rise at
high latitudes, driving a compensating equatorward
low-level flow. Hence, the initial response to the
heating gradient is the development of a thermally
direct circulation reminiscent of the Hadley cell, but
extending all the way from equator to pole, as shown
in Figure 11B. The conservation of angular momen-
tum imparts a westward component to the equator-
ward flow in the lower branch of the cell and an
eastward component to the poleward flow in the upper
branch. The vertical wind shear between the low-level
easterlies and the upper-level westerlies increases in
proportion to the strengthening north–south temper-
ature gradient, in accordance with thermal wind
balance (Figure 11C).

If this thermally direct circulation were able to
persist, the winds would eventually increase to the
point where the rate of frictional dissipation equaled
the rate of generation of available potential energy by
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the equator-to-pole heating gradient. However, before
such an equilibrium is reached, the simulated circula-
tion undergoes a fundamental change. When the
meridional temperature gradient reaches a certain
critical value, baroclinic instability spontaneously
breaks out in mid-latitudes. Successive generations
of baroclinic waves, developing, evolving through
their life cycles and decaying, modify the general
circulation as indicated in Figure 11D. They produce a
large poleward eddy heat fluxes that oppose the
further buildup of the meridional temperature gradi-
ent across mid-latitudes. As they disperse upward to
the jet-stream (10 km) level and thence equatorward
into the tropics, they are attended by a poleward flux
of angular momentum from the tropics into mid-
latitudes. The wave-induced heat and momentum
fluxes give rise to the observed thermally-indirect mid-
latitude Ferrel cell (Figure 2), which maintains the
surface westerlies against frictional dissipation. Were
it not for the waves, there would be no Ferrel cell, and
the broad belt of surface westerlies poleward of 301
would not exist.

Beyond the Zonally Averaged,
Time-Average General Circulation

The zonally averaged diagnostics considered in the
foregoing sections deal with only the broad outlines of
the general circulation: They leave many important

zonally varying features unaccounted for. For exam-
ple, it is evident from Figure 12 that the westerly wind
maximum near 301N in Figure 1A is a composite
made up of intense wintertime jets over Japan and the
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Figure 11 Schematic depiction of the general circulation as it develops from a state of rest in a climate model for equinox conditions in

the absence of land–sea contrasts. See text for further explanation.

Figure 12 Mean zonal wind at the tropospheric jet stream level

(B12 km) for the season December through February. Contour

interval 10ms� 1; the 20ms� 1 contour is thickened. Based on

NCEP/NCAR Reanalyses for the period 1958–1997. (Diagram

provided by Socorro Medina.)
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eastern United States, as contrasted against more
diffuse westerlies over other parts of the hemisphere.
In a similar manner, the eddy flux cross-sections
presented in Figures 5 and 9 tend to be dominated by
well-defined ‘storm tracks’ over the oceans. Under-
standing the zonally varying structure of the general
circulation requires consideration of more complex,
three-dimensional balance requirements and numeri-
cal simulations that incorporate careful treatment of
land–sea thermal contrasts and mountains.

Nor can the statistics that describe the general
circulation necessarily be regarded as perfectly repro-
ducible, year after year. For example, they are
discernibly different during contrasting years of the
El Niño Southern Oscillation cycle, particularly over
the Pacific sector during the months of January
through April. There are also indications of longer-
term trends, as shown inFigure 13. Such changes in the
general circulation can occur in response to changes in
sea surface temperature, as in the case of ElNiño, or in
response to changes in the distribution of radiative
heating brought about by changes in the concentration
of radiatively active trace gases or aerosols.

See also

Baroclinic Instability. Climate Variability: Decadal to
Centennial Variability; North Atlantic and Arctic Oscillation.
Cyclones, Extra Tropical. Middle Atmosphere:
Planetary Waves; Transport Circulation; Zonal Mean
Climatology. Ocean Circulation: General Processes.
Operational Meteorology. Planetary Atmospheres:
Mars; Venus. Satellite Remote Sensing: Temperature
Soundings. Stationary Waves (Orographic and
Thermally Forced). Stratosphere–Troposphere Ex-
change: Global Aspects. Tropical Meteorology: Trop-
ical Climates.
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Introduction

The energy cycle provides a physically meaningful
system through which to understand the many con-
straints and properties of the general circulation.
Energy is conserved and can be tracked even as it

changes from one form to another. Energy properties
canbe analyzed to deduce the strengths of circulations,
as well as the rates at which circulations are created,
maintained, or destroyed.

The total energy (TE) is defined by the relationship:

CvT þ gZ|fflfflfflfflfflffl{zfflfflfflfflfflffl}
DSE

þ Lq

|fflfflfflfflfflfflfflfflfflfflfflfflffl{zfflfflfflfflfflfflfflfflfflfflfflfflffl}
MSE

þ 1
2ðu2 þ v2 þw2Þ|fflfflfflfflfflfflfflfflfflfflfflffl{zfflfflfflfflfflfflfflfflfflfflfflffl}

KE

¼ TE ½1�
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where Cv is the specific heat capacity at constant
volume, T is the temperature, g is the acceleration due
to gravity, Z is the geopotential height, L is the latent
heat of vaporization or sublimation, q is the specific
humidity, and u, v, and w are eastward, northward,
and upward wind components. The term CvT repre-
sents internal energy, gZ gravitational energy, Lq
latent energy from the phase changes of water, and
1
2ðu2 þ v2 þw2Þ the kinetic energy (KE). Together the
first two terms define the dry static energy (DSE),
while including the third defines moist static energy
(MSE).

Potential energy (PE) is usually defined as
DSE. A tiny fraction of the PE, called the avail-
able potential energy, APE, can be used to drive
the KE. The concept of APE is used to explain the
links between PE and KE and is usually defined
as the difference between the PE and the minimum
PE that could be achieved by an adiabatic arrangement
of mass. Sometimes latent heating is included directly
in the APE, but usually it is treated as a separate
diabatic process. PE is useful for global energy
balance.

Solar radiant energy does not reach the Earth
equally everywhere. On average, the tropics
receive and absorb far more solar energy annually
than the polar regions. This distribution of absorbed
energy creates an uneven distribution of temperature.
Temperature, pressure, and density are related, so the
PE has an uneven distribution too. The existence of
APE is essentially due to the horizontal variations in
density and temperature. APE leads tomotions (KE) as
the atmosphere tries to remove these density and
temperature variations. The motions redistribute
some mass, but mainly the atmosphere transports
heat. The atmospheric circulation becomes a complex
balance between the radiant energy input and
output that creates the APE needed to generate the
KEof circulations,which in turn strive to create a state
of no APE.

Available potential energy and KE are defined in
formal mathematical ways. The mathematics
shows interactions from which physical mechanisms
(such as baroclinic instability) can be identified.
The energy equations describe the following chain
of events. Radiation creates APE; some APE is
converted to motions that redistribute the heat
energy; KE in turn is lost by conversion back to APE
and by friction. The forms of energy and the ‘net’
conversions between them can be represented via a
‘box’ diagram. However, the box diagram does
not show the energy cycle in an intuitive sense.
To make the physical mechanisms clear, energy
must be examined regionally and one phenomenon
at a time.

Conceptual Models

Two-fluid Model

A fluid flow analog of the pendulum can illustrate
forms and conversions of energy. Imagine a tank
holding two fluids of different density, separated by a
vertical barrier (Figure 1A). The initial state has the
highest center of mass and thus the greatest gravita-
tional PE. If the barrier is suddenly removed, the fluids
begin to move. The motion accelerates until the point
in time where the greatest amount of the denser fluid
underlies the greatest amount of the less dense
fluid (Figure 1B). The center of mass is now at its
lowest, as is the gravitational PE. Ignoring friction,
mixing, and turbulent effects, KE is maximized at
this point. As time proceeds further, the fluids over-
shoot this state, and KE begins converting back to PE
(Figure 1C).

APE is defined as the difference between the current
PE and the minimum PE. The state with lowest PE is
the ‘reference state’, which has zero APE. The refer-
ence state definition is somewhat arbitrary. Another
mechanism could possibly occur at some later time to
lower further the minimum PE, for example a net
temperature decrease. However, the size of the con-
versions, generation, anddestruction are not arbitrary.
APE is intended to represent the PE available for
driving motions, so the reference state is usually
defined by rearranging atmospheric properties in the
horizontal dimensions so as to reach a state of
minimum PE. This model reveals that density differ-
ences across a fixed elevation in the tank are propor-
tional to the APE.

The model relates to the atmosphere as follows.

1. Temperature differences create the density differ-
ences. The less dense fluid represents the tropics;
the denser fluid represents polar regions.

2. The reference state has minimum center of mass
when the air ‘layers’ are flat. Flat fields of pressure
and temperature imply no geostrophic or ageo-
strophic winds.

�1 �2
�2

�1

�2

�1

(A) (B) (C)

Figure 1 Schematic model of fluid motion showing APE and KE

concepts. The tank holds two immiscible fluidswith density r1or2.
(A) Initial state; (B) state with maximum KE but minimum PE

reached during the first oscillation; (C) state where KE is being

converted back to PE.
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3. Density differences (sloping air ‘layers’) have APE
but also produce horizontal pressure gradients
that accelerate the air. On the rotating Earth,
geostrophic winds, and thus KE, are also present.
So, reservoirs, sources, and sinks of APE are not
independent of KE.

Carnot Cycle

The Carnot cycle can be used to estimate KE gener-
ation from thermodynamic changes that an air parcel
undergoes while completing an atmospheric circuit.
The Hadley cell is a conceptual model for the zonal
mean tropical circulation. Air in the lower tropo-
sphere moves equatorward while gaining heat and
moisture from surface fluxes. Near the Equator rapid
ascent within thunderstorms releases and advects
much latent heat energy. Reaching the upper tropo-
sphere, air moves poleward, cools radiatively, and
sinks, completing a circuit.

Kinetic energy generation can be estimated by
plotting the thermodynamic properties of air parcels
on a skew T�logP chart. A unit area anywhere on the
chart corresponds to a specific amount of energy
exchange. Figure 2 shows a realistic circuit around an
annual mean Hadley cell. The amount of APE
converted toKEby akilogramof airwhile it completes
the plotted circuit is E � 1:4�103 J kg�1.

The rate of energy release per unit horizontal area, r,
by all the air inmotion, can be compared to the rate per
unit area of energy absorbed from the Sun:

r ¼ MEt�1a�1 ½2�

whereM is themass inmotion, t is the time to complete
the circuit, and a is the area of the Hadley cell. For
the schematic circulation indicated in Figure 2A,
M � 1018 kg, a � 1:5�1014 m2, and t � 3�106 s.
The total rate of energy released by the Hadley cell is
MEt�1 � 5:3�1014 J s�1. However, the rate per unit
area is only r � 3:5Wm�2. The absorbed solar radi-
ation in the tropics is 100 times larger than r, making
the atmosphere an ‘inefficient’ heat engine. (Efficiency
of the Carnot cycle is often measured in a way
dependent on the temperature, but our estimate is
related to energy input.)

The model illustrates these properties:

1. Warmer air is rising and cooler air is sinking so the
center of mass is lowered and KE is created;
the circuit is counterclockwise and the circula-
tion is ‘thermally direct’. In contrast, the Ferrel
cell is a clockwise circuit that reduces KE to
increase PE.

2. A steady state is reached if the frictional losses
balance the KE generation.
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3. The rate of KE generation depends on the area
enclosed by the circuit divided by the time to
complete the circuit.

4. The amount of energy converted is proportional to
a circuit integral of T, so it increases as the
temperature difference increases between the
warm and cold stages of the cycle. During winter

the meridional temperature gradient is stronger
than summer, and so is the Hadley cell.

5. In winter, the air motion of the Hadley cell is 5–7
times stronger than that of the Ferrel cell but larger
temperature differences occur along the Ferrel
circuit. So, the net energy conversions are similar
(see ‘The Box Diagram’ below).

L− 0.0671 H0.0363

H0.0796

0

0 0
0

0

0

−0.24

−0.12−0.12

0

0

DJF
0

200

400

600

800

1000

P
re

ss
ur

e 
(h

P
a)

90°S 60°S 30°S 0° 30°N 60°N 90°N

Latitude

−0.24

− 0.12

0
0

0

0

0

0

0

− 0.12

H0.0277 L −0.0573

H0.0709

0

200

400

600

800

1000

P
re

ss
ur

e 
(h

P
a)

90°S 60°S 30°S 0° 30°N 60°N 90°N

Latitude

JJA

(A)

(B)

Figure 3 Zonal mean efficiency factor ½e� for (A) December–February and (B) June–August. ½e� is estimated from zonal mean 1979–99

National Center for Environmental Prediction/National Centers for Atmospheric Research (NCEP/NCAR) reanalysis data from the

Climate Diagnostics Center (CDC) in Boulder, CO, USA. The contour interval is 0.03.

832 GENERAL CIRCULATION / Energy Cycle



6. Large energies are involved, but only a tiny fraction
of the solar radiation actually drives the observed
motions.

7. The path followed by air parcels was specified, not
predicted.

Available Potential Energy

Available potential energy is approximated by tem-
perature variations on a pressure surface:

APE ¼
Z

eCpT dM

� 1

2
kCpP

�k
00

Z
Pk�1 y� �yy

� �2 qy
qP

� ��1

dM ½3�

e ¼ 1� Pr

P

� �k

½4�

where M is mass, y is potential temperature,
P00 ¼ 105 Pa, Cp is the specific heat capacity at
constant pressure, k ¼ RC�1

p , R is the ideal gas
constant, and e is the ‘efficiency factor’. PrðyÞ is the
reference pressure, which is the average pressure on a
potential temperature surface y. Available potential
energy is zero when P ¼ Pr everywhere in the domain.
The overbar denotes the horizontal average on an
isobaric surface.

1. For an integral over the depth of the atmosphere,
APE differs from PE by the factor e.

2. Observed PE is about a thousand times greater
than estimates of global average APE.

3. Hemispheric PE is greater in summer since the air is
generally warmer than in winter.

4. Hemispheric APE is greater in winter when the
meridional temperature gradient is stronger, mak-
ing the term in curly bracket { } larger than in
summer. The further the atmosphere departs from
the reference state mean, the larger e becomes.

5. Diabatic heating or cooling can create APE if it
magnifies the departures but the same heating or
cooling can destroy APE if it reduces the depar-
tures. In simplistic terms, APE is generated
by ‘heating where it is hot or cooling where it is
cold’.

6. e > 0 in ‘hot’ regions and eo0 in ‘cold’ regions.
From Figure 3, e has a positive maximum in the
tropical middle troposphere and negative minima
in high latitudes. In middle latitudes the sign varies
with longitude: e > 0 over oceans during winter or
warm sectors of frontal cyclones while eo0 over
continents in winter or behind cold fronts.

Kinetic Energy

Kineticenergy isprimarilycontained inhorizontalwinds:

KE ¼ 1
2

Z
ðu2 þ v2Þ dM ½5�

Kinetic energy has the following properties:

1. The distribution of zonal mean KE (Figure 4) has
maxima at upper levels near the subtropical jets.

2. Kinetic energy is related to atmospheric momen-
tum and torque. Momentum fluxes by the Hadley
cells and by midlatitude eddies maintain the KE
maximum near the subtropical jet. However,
slowing down easterlies increases westerly mo-
mentum, but reduces KE.

Energy Generation and Conversion

Energy Equations

Tounderstand how energy evolves one needs formulae
for APE and KE tendencies in a limited domain. The
domain may be a unit area in the meridional plane
(useful for calculating zonal means) or enclosing a
single phenomenon to the exclusion of others (e.g., a
single frontal cyclone). Tendency equations for APE
ðAÞ and KE ðKÞ in a mass M between two isobaric
surfaces are:

qA
qt

¼
Z

ðeqÞ dM|fflfflfflfflfflfflffl{zfflfflfflfflfflfflffl}
Term: a

þ
Z

ðeoaÞ dM|fflfflfflfflfflfflfflfflffl{zfflfflfflfflfflfflfflfflffl}
b

�
Z

erp . ðVp Cp TÞ dM|fflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflffl{zfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflfflffl}
c

þ
Z

CpT
qe
qt

� �
dM|fflfflfflfflfflfflfflfflfflfflfflfflfflffl{zfflfflfflfflfflfflfflfflfflfflfflfflfflffl}

d

½6a�

qK
qt

¼�
Z

ðVp . FÞ dM|fflfflfflfflfflfflfflfflfflfflffl{zfflfflfflfflfflfflfflfflfflfflffl}
Term: a

�
Z

ðVp .rpFÞ dM|fflfflfflfflfflfflfflfflfflfflfflfflfflffl{zfflfflfflfflfflfflfflfflfflfflfflfflfflffl}
b

�
Z

rp . ðVpKÞ dM|fflfflfflfflfflfflfflfflfflfflfflfflfflffl{zfflfflfflfflfflfflfflfflfflfflfflfflfflffl}
c

½6b�

where q contains all diabatic heating and F is friction.
Also, o is pressure coordinate ‘vertical’ velocity; a is a
specific volume;F is geopotential; andVp andrp denote
velocity and gradient evaluated in isobaric coordinates.

The terms are ordered to match similar processes.
Term ‘a’ in each equation has diabatic source/sink
mechanisms. Term ‘b’ is similar but has opposite sign
in the A and K equations and so represents a
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(baroclinic) conversion between these two forms of
energy. Term ‘c’ is divergence of potential or kinetic
energy flux; it is a conversion between the APE or
KE inside and external to the domain; baroclinic
or barotropic conversions respectively, appear in
this term.

Diabatic Sources and Sinks of Energy

There are five categories of diabatic processes: solar
and terrestrial radiation, latent and sensible surface

heat flux, and friction. Figure 5 illustrates how these
are distributed on a zonal mean.

1. Solar radiation absorbed. Much more radiation is
absorbed ðq > 0Þ in the tropics ðe > 0Þ than in polar
regions ðeo0Þ, so APE is generated, particularly in
the winter hemisphere.

2. Terrestrial radiation emitted. The emission ðqo0Þ
is greater in the tropics, suggesting destruction of
APE. But APE is generated because the emission in
high latitudes is from cloud tops where e is strongly
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negative. In the less cloudy subtropical latitudes,
emission mainly occurs where e has smaller mag-
nitude.

3. Latent heat surface flux. Evaporation introduces
water vapor into the atmosphere. The latent heat is
releasedwhere condensation occurs, whichmay be
quite distant. In the tropics, much latent heat is
released in the middle troposphere (mainly in the
intertropical convergence zone, ICZ) where e > 0.
Evaporation is enhanced in middle latitudes near
the east coasts of continents duringwinter: very dry
surface air in the cold sector of a frontal cyclone
blows over warm waters of an oceanic western
boundary current (WBC) such as the Gulf Stream.
This air is warmed and moistened, often becoming
the warm sector of the following storm. While the
evaporation occurs in the storm’s cold sector, the

latent heating occurs in the warm sector, and eddy
APE is likely generated.

4. Sensible heat surface flux. Also largest near a
midlatitudeWBC, sensible heating is input into the
colder air, thus destroying the temperature contrast
between the warm and cold sectors of the extra-
tropical cyclone. While APE destruction is antici-
pated, sensible heating does lower the static
stability, which allows vertical motions to proceed
more freely encouraging baroclinic conversion.

5. Friction. Friction is only important for KE and it
always destroys KE.

Baroclinic Conversions

It is not obvious that terms ‘b’ in eqn [6] are convers-
ion between APE and KE in the limited volume
energy equations.Using the hydrostatic and continuity
equations:

Vp .rpF ¼ oaþr3 . ðV3 FÞ ½7�
For a closed system, there is no mass divergence, and
the pressure work term ðr3 . ðV3FÞÞ vanishes. For
an open system, Vp .rpF � r3 . ðV3FÞ. Subscript 3
denotes all three dimensions.

Two approximate forms of this conversion aid
interpretation of the process. For a closed system, as
illustrated in Figure 6, the conversion depends on the
difference in thickness above the surface high ðHHÞ
and surface low ðHLÞ:

�Sgjoj ðHH �HLÞ �
ZZ

Vp .rpF dPdS ½8�

where S is the horizontal area for each half of the
domain and oj j is the magnitude of the mean o. The
factor ðHH �HLÞ plays essentially the same role as e.
Similarly, integrating eqn [7] over themass, as in eqn [6a]
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finds the net contribution by theoa term tobe givenby
the small part due to eoa since a is positive and
comparable, while o is comparable but reverses sign,
between warm and cold regions. Since thickness is
proportional to the mean temperature of the layer of
air, the sign and magnitude of the conversion depend
on vertical motion in relatively warmer and colder
regions. In Figure 6A, warm air over the surface low

rises while cold air sinks, causing cyclogenesis
ðAPE toKEÞ. In Figure 6B, warm air overlies the
surface high, causing cyclolysis. The magnitude of the
conversion during the developing stage exceeds that
during the decay stage, implying net generation of KE.

A simple description of the baroclinic conversion is
‘warm air rising or cold air sinking converts APE into
KE’. The relationship is seen in the quasi-geostrophic
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system, where

�oa � gmWy

W is vertical velocity and m � 1 is a nondimen-
sionalizing constant. The Carnot cycle model illus-
trates this mechanism, as does the conversion of zonal
mean APE (AZ) to zonal mean KE (KZ) found in
tropical Hadley cells. In middle latitudes zonally
varying phenomena (eddies) dominate the circulation.

To drive these midlatitude eddies two conversions
are incorporated into the ‘baroclinic’ conversion label:
AZ to eddy APE (AE) and AE to eddy KE (KE). The
latter is proportional to a vertical eddy heat flux, while
the former is proportional to a horizontal eddy heat
flux. From thermal wind balance, the environment has
a meridional temperature gradient and westerly ver-
tical shear. Eddy horizontal heat fluxes are directed
down the temperature gradient (towards the pole) if
the eddy tilts against the vertical shear. The upstream
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tilt and vertical heat flux are both visible in the
schematic diagram show in Figure 6A of cyclogenesis.

Figure 7 shows the observed zonal mean heat
flux by all motions. In the tropics the heat flux
follows the Hadley cell: equatorward, then upward,
then poleward, and finally sinking in the subtropics.
The heat is then advected poleward, mainly by
eddies.

Barotropic Conversion

The barotropic mechanism rearranges KE. A com-
monly shown redistribution is between the zonalmean
and eddy KE. In a KE tendency equation, this conver-
sion depends on eddy momentum fluxes as well as on
the mean flow horizontal shear. Zonal mean KE is
generated where eddy momentum fluxes are up the
gradient of the mean flow.

The eddy momentum fluxes, meridional cells, and
jets are linked in the barotropic mechanism. Meridio-
nal momentum transport (Figure 8) by the Hadley cell
is up the gradient of the zonal mean subtropical jet

streams. The meridional cells have little meridional
motion at the subtropical jet, but the eddies carry
momentum further poleward. In midlatitudes the
Ferrel cell momentum flux opposes the flux by the
eddies.

Complexity arises from several sources.

1. The eddies have preferred regions of genesis and
decay and their momentum fluxes vary greatly
between these regions.

2. Mature lows migrate to the cold side of the jet and
thus deflect the jetstream equatorward.

3. Eddy momentum fluxes build vertical shear while
the eddy heat fluxes reduce the temperature gradi-
ent, a combination that opposes thermal wind
balance. One consequence is the formation of a
secondary circulation, appearing as the ‘Ferrel cell’
on a zonal average, which partially opposes the
eddy heat and momentum fluxes. This Ferrel cell
bringswesterlymomentumdownward. Thus the jet
streams are equatorward of where the eddy mo-
mentum flux has greatest convergence.

The eddies need horizontal tilts (see Figure 9) to
accomplish the observed momentum fluxes.

Summary Depictions

Global Energy Balance

Ignoring seasonal and climatic heating that can occur,
there should be a balance between the solar energy
absorbed by the Earth and that radiated away into
space. The actual energy budget between Earth
and space depends on a variety of factors including
cloud cover, atmospheric composition, and surface
properties. Estimates for the Earth’s surface and
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atmosphere on global and annual averages are
presented in Figure 10.

Some limitations of this summary depiction are:

� Net radiation (solar minus terrestrial) is positive
from 381 N to 381 S and negative elsewhere. The
balance shown is global, so net radiation is zero.

� Heat fluxes sustain the net radiation pattern; those
motions are not included.

� Vertical fluxes of heat and radiation are not shown;
Figure 10 shows only the net transfer for the whole
atmosphere.

From Figure 10 it can be seen that:

� Solar (shortwave) radiation can be treated sepa-
rately from terrestrial (longwave) energy.

� The (shortwave) albedo is greatly affected by clouds,
which also strongly affect terrestrial emission.

� More solar radiation is absorbed by the ground
(49%) than by the air (20%).

� The solar radiation reaching the ground evaporates
water, is emitted as longwave radiation, or creates a
sensible heat flux.

� The net surface emission must balance the input (19
units) not lost by surface fluxes.However, the actual
surface longwave emission (114 units) exceeds the
shortwave input because of downward radiation
from the atmosphere; this is known as the ‘green-
house’ effect.

The Box Diagram

The sources and sinks of energy discussed above can be
summarized for the atmosphere using the ‘box’
diagram. Each box is one form of energy. Arrows
indicate input and output from each box as identified
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Figure 11 Energy ‘box’ diagram showing reservoirs of zonal

mean APE (AZ) and KE (KZ); eddy APE (AE) and KE (KE); net

energy conversions (CA, CE, CK, CZ); and net diabatic generation

or destruction (GZ; GE; FZ; FE). Global and annual average values

indicated. The reservoirs are in units of 105 Jm�2 and

the conversions and diabatic processes have units of Wm�2.

The conversions are given letter labels for future reference. The

numbers are highly idealized and drawn from several sources with

adjustments made to round off and balance input and output. The

twonumberswith asterisks are estimatesmadeby theauthor using

1979–99 NCEP/NCAR reanalysis data.

Table 1 Stages in the APE (heat) and KE (momentum) energy cycle

APE or heat flow KE or momentum flow

1. Solar and terrestrial radiation create excess heating in the

tropics and a deficit poleward of 381.
1. Westerly momentum is introduced in the tropics and is

removed by friction in midlatitudes.

2. Result of item (1) is a poleward heat flux. 2. Result of item (1) is a poleward westerly momentum flux.

3. In midlatitudes eddies are the main mechanism for heat

transport.

3. In midlatitudes eddies are the main mechanism for

momentum transport.

4. The CA and CE conversions (see Figure 11) show that

horizontal and vertical heat fluxes create eddy energy

(baroclinic process). Latent heat release may also

contribute.

4. Eddy momentum fluxes also provide sources and sinks of

eddy kinetic energy from theCK conversion (seeFigure 11).

Since global average CK is positive, eddies must lose KE to

the mean flow in the net.

5. Net radiation being positive causes the heat flux to increase

with latitude in the subtropics. (More and more heat must be

transported poleward to maintain quasi-steady PE.)

5. The flux of zonal mean KE keeps increasing with latitude in

the subtropics where CK is positive. (More and more

momentummust be transported poleward tomaintain quasi-

steady KE.)

6. The eddy heat flux is down the T gradient. 6. Eddymomentum flux is up the gradient of ½u� cos�1f atmany

latitudes.

7. The heat flux is maximum where net radiation is zero. 7. The flux of [KE] reaches a maximum where CK equals zero.

8. Poleward of the heat flux maximum there is cooling by net

radiation.

8. Poleward of the angular velocity, ½u� cos�1f, maximum,

eddies remove energy from [KE] in the net.
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in the energy equations. Energy is converted back and
forth between various forms, but only net changes are
shown. The Hadley circulation is contained in the
zonal mean quantities at the top row of the box
diagram. Midlatitude frontal cyclones are included in
the bottom row.

The box diagram has some limitations:

� Only global mean properties are shown here. For
example, AZ to AE is largest mainly in middle
latitudes.

� Only net changes are shown, whereas large regional
variations occur. AZ to KZ> 0 for the Hadley cells
but o0 for Ferrel cells. Some studies show this net
conversion as negative.

� Some conversions are simultaneous, as mentioned
above, especially the AZ to AE to KE route by which
frontal cyclones intensify.

� Some conversions are hard to measure directly and
are either approximated (e.g., AZ to KZ) or dedu-
ced as a residual (e.g., GE and AE to KE). GE is
generation of AE and it is 1.1 units in Figure 11.

Observed reservoirs, conversions, sources, and sinks
are depicted in Figure 11. Diabatic processes create
much AZ, which in turn drives KZ of zonal mean
circulations such as theHadley and Ferrel cells and the
zonal mean midlatitude westerlies. Some AZ is con-
verted to AE, which becomes KE, especially in midla-
titude frontal cyclones. Convergence of eddy momen-
tum is a net conversion of KE to KZ. Since friction
working on eddymotions (FE) removes KE, theremust
be net conversion of AE to KE. Depending on the
estimated strength of FE, GE may be negative.

The box diagram for global energy shows:

� Relative sizes of energy ‘reservoirs’ and conversions
can be estimated. For example, in various studies KE

has been estimated to be more than half of the total
KE, but between a fifth and a tenth of TE.AE is a half
to a quarter of the total APE.

� The flow of energy consists primarily of GZ to AZ to
AE to KE to FE.

� Different phenomena follow different paths. The
conversion of AZ to KZ relates to Figure 2. Baro-
clinic instability, following the routeAZ toAE toKE, is
obviously a primary track in the diagram. Barotropic
instability follows the route KZ to KE and is clearly
negative (eddies feed KE into the zonal mean flow).

The Energy Cycle

Energy in the general circulation follows paths from
sources to sinks. Energy is mathematically cast in
several useful forms and it is linked to several global
constraints. To provide an overview of these diverse
properties, Table 1 and accompanying Figure 12

summarize how energy in kinetic and potential forms
flows in the general circulation. Heat and available
potential energy are similar concepts and are com-
pared in the table and figure. Similarly, momentum
and KE may be considered together. The table and
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Figure 12 (A) Schematic meridional cross-sections of the

atmospheric cycle of APE and heat. Arrow lengths are intended

to suggest relative magnitudes. Single-shafted arrows depict

radiation (straight for absorbed solar; wavy for terrestrial emitted

to space) with representative numerical values given in Wm�2.

Double-shafted arrows depict heat fluxes (dashed for latent; wavy

for sensible heat). Letters correspond to distinct parts of the cycle.

Solar radiation (a) is absorbed in the tropics and subtropics, then

that heat energy is transported (b) equatorward. Latent heat (c) is

converted to sensible heat in the ICZ then transported poleward (d)

in the upper troposphere. Sinking in the Hadley cell (e) brings heat

downward. Eddy fluxes (f) extract heat from the subtropics and are

augmented by surfaces fluxes (g) at WBCs. Heat is mixed upward

vertically (h) in frontal cyclones, whereupon a net loss occurs to

space (i). (B) Similar to (A) except for the KEandmomentumcycle.

Arrow lengths are intended to suggest relative magnitude of

momentum transport. Momentum transport in the troposphere is

separated into mean meridional cells (solid arrows) and eddies

(dashed arrows). Letters correspond to these parts of the cycle:

Slowing down surface easterlies impart westerly momentum (a)

into the tropical boundary layer. That momentum is transported

equatorward (b) then upward (c) in the ICZ convection. The upper

Hadley cell transports the momentum (d) poleward. Eddies further

transport the momentum (e) poleward, out of the subtropics, while

the Ferrel cell (f) both opposes the eddy flux and mixes some

momentumdownward. Frontal cyclonesalso havea net downward

mixing (g) of westerly momentum that is lost by friction at the

surface (h). The transport creates westerly momentum conver-

gence in the subtropics and midlatitudes forming a subtropical jet

(J) and a KE maximum there.
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figure make clear that heat and momentum have
similar circuits.

Westerly momentum is defined as positive, so
frictional slowing of easterlies in the tropical bound-
ary layer is a source of westerly momentum but a sink
of KE. The low-level flow in the Hadley cells gains
westerly momentum and transports it equatorward.
Surface fluxes of heat and water provide a diabatic
source of warmth and moisture to air parcels as they
approach the ICZ. In the ICZ, westerly momentum is
transported to the upper troposphere. Latent heat is
released where the efficiency factor is large and
positive, leading to strong diabatic generation of APE.

The upper branch of each Hadley cell transports
westerly momentum poleward. Conservation of an-
gular momentum builds the velocity relative to the
Earth’s surface, i.e., creating KE and providing one
mechanism to create the subtropical jets. The pole-
ward extent of the motion arises from interaction
between the pressure gradient (poleward) and the
Coriolis force (at right angles to themotion); these two
forces would accelerate parcels along a trochoidal
path. Because the moist static energy (MSE) of the
poleward moving air is much greater than the MSE of
the equatorwardmoving air below, theHadley cell has
a net poleward transport of heat.

The subtropics are a transition between the convec-
tion-dominated tropical circulations and the frontal
cyclone-dominated midlatitude circulations. Ra-
diative cooling and surface divergence lead parcels in
the Hadley cell to sink, bringing down some westerly
momentum as well as high potential temperatures.
The frontal cyclones mix momentum and heat verti-
cally. The vertical fluxes of heat by each cyclone and
the vertical shear of the jet streams both are funda-
mental parts of the baroclinic instability mechanism.

In middle latitudes, air in the cyclones’ warm sector
has a poleward component of motion, while air in the
cold sector moves equatorward: in both sectors eddy
heat transport is poleward. Much precipitation ac-
companies the frontal cyclones with the bulk of it

occurring in the warm sector, so there may be diabatic
generation of eddy APE but loss of zonal APE. Further
poleward, radiative cooling, especially from clouds,
generates APE. Mature frontal cyclones develop
momentum fluxes that converge upper-level westerly
momentum, while their heat fluxes reduce the merid-
ional temperature gradient on a zonal average. To
maintain thermal wind balance a secondary circula-
tion forms that also transports momentum (equator-
ward at upper levels). The westerly momentummixed
to the surface (for example in subsiding air of cold
sectors) is removed by friction in the boundary layer,
becoming a sink of westerly momentum and of KE.

See also

Baroclinic Instability. Dynamic Meteorology: Bal-
anced Flows; Overview; Primitive Equations. General
Circulation: Mean Characteristics; Overview. Hadley
Circulation. Land–Atmosphere Interactions: Over-
view. Ocean Circulation: General Processes.
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Introduction

The atmosphere of the Earth has a diverse range of
motions. The general circulation refers to the larger-

scale motions that have horizontal length scales
greater than 1000 km and persist for a season or
longer. In addition, this term includes all processes
necessary to explain sufficiently, or maintain directly,
the large-scale circulation.

The general circulation encompasses more than
simply the movement of the air. Understanding the
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circulation requires the examination of many other
atmospheric quantities. Large-scale circulations are
created by imbalances in the radiation fields that lead
to temperature gradients that the atmosphere tries
to eliminate. The circulations that develop are limi-
ted by various physical constraints such as radia-
tive energy balance, mass balance, and angular
momentum balance. So, while the primary scope of
this article is to descibe the mean properties of the
circulation, it is also necessary to consider related
variables that are directly observed. The related
variables reveal the constraints on the circulation
and the underlying laws of dynamics and thermody-
namics. Other articles on the general circulation
discuss how the circulation is maintained and how it
can be simulated.

The general circulation of the atmosphere has
complex structure in all dimensions as it evolves over
the seasons. To make a discussion of this subject
manageable, it is traditional to examine first the
properties of the general circulationwhen longitudinal
averages are taken. Longitude averages are commonly
labeled ‘zonal means’. Zonal means provide a useful
starting point since many atmospheric variables have
much symmetry in the longitudinal direction. For
example, contours of temperature in the upper trop-
osphere are oriented east–west to a large degree. Zonal
means reduce the information that one needs to view
in order to visualize the circulation. However, zonal
averages miss important phenomena that can be seen
in time averages. Time means reveal longitudinal
variations that must be taken into account in order to
understand both the properties and the maintenance
of the zonal mean state.

The general circulation undergoes seasonal change.
In many fields the seasonal change is much less in the
Southern Hemisphere. The difference arises because
the middle latitudes in the Southern Hemisphere have
amuch higher fraction of ocean coverage than those in
the Northern Hemisphere. Land and ocean have
different thermodynamic properties: heating and
cooling are more readily mixed through a greater
amount of mass in the ocean than on land; and the
albedo of land can change drastically with season,
unlike that of the ice-free ocean. These factorsmagnify
seasonal change over land.

The difference in middle latitude land coverage
has another implication. There are more major
mountain ranges in the Northern Hemisphere. The
mountains, together with differences that arise
between land and sea areas, lead to more prominent
planetary waves in the Northern Hemisphere.
In contrast, many fields in the Southern Hemisphere
tend to be more zonally uniform when long time
averages are taken.

Longitudinal Average Characteristics

Radiation and Temperature

A discussion of the general circulation usually starts
with radiation, since the distribution of radiation
absorbed and emitted is the ultimate driving mecha-
nism for the circulation.

The Earth (including its atmosphere, solid, and
ocean parts) absorbs radiation emitted by the Sun.
Simple geometry (see Figure 1) shows that the amount
of solar radiation reaching unit area on the Earth
diminishes from the Equator to the poles. The amount
of solar radiation absorbed is influenced by the
reflectivity of the Earth’s surface, the amount of cloud
cover, and the path length through the atmosphere.On
an annual average, the amount of radiation absorbed
decreases greatly from the Equator towards each pole.
The rate that absorption decreases with latitude is
greater in polar than in tropical regions.

The radiant energy absorbed is balanced by the
energy emitted by the Earth back to space. Like the
absorbed solar radiation, terrestrial emission also
tends to decrease from the subtropics towards higher
latitudes. The terrestrial emission is governed by the
temperature and the radiative properties of the emit-
ter. Emission comes from the surface of the Earth as
well as from the atmosphere. For equivalent radiative
properties, more radiant energy is emitted from
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objects that are hotter. Thus, the terrestrial emission is
consistent with the tropics being warmer than the
polar regions. However, the emission does not change
with latitude nearly as fast as does the absorption.
There is therefore a net radiation surplus in the tropics
and deficit in the extratropics. A poleward energy
transport is required, which has implications for the
temperature field. The terrestrial emission means that
temperatures are lower in the tropics and warmer in
the polar regions than they would be without heat
transport.While some transport occurs via the oceans,
the remainder occurs in the atmosphere, and so the
atmosphere must have a circulation. Further compli-
cating the issue, the atmosphere may transport the
heat by direct means (termed sensible heat transport)
or by transporting water (termed latent heat trans-
port). In the latter process heat is gained or released
through a phase change of water. Thus, the distribu-
tion of radiation implies links to temperature, velocity,
and moisture fields.

Temperature In the troposphere and lower strato-
sphere, absorption and emission of radiation alters the
air temperature at a rate of a few degrees per day. This
change of air temperature is generally small compared
with the difference between the equatorial regions and
the polar regions. Hence, the radiant energy absorp-
tion and emission do not create large temperature
differences between the daylight and night sides of
the Earth. Therefore, much about the atmosphere’s
thermal structure is seen in a zonal mean.

Seasonal averages for winter and summer temper-
ature are displayed in Figure 2. The following prop-
erties are evident from the figure:

1. Temperature decreases with increasing height. The
rate of decrease (equal to the opposite of the lapse
rate) is greater in the troposphere andnotably less in
the stratosphere.Temperature increaseswith height
in the tropical lower stratosphere. The lapse rate is
less than the lapse rate for neutral stability; the
atmosphere is therefore statically stable on the large
scale.

2. The tropopause marks the boundary between the
stratosphere and troposphere. The zonal mean tropo-
pause ranges from levels between 300–400 hPa in
polar regions to roughly the 100 hPa level in the
tropics.

3. In the troposphere, zonal mean temperature along
an isobaric surface decreases towards each pole.
The rate of decrease (the meridional gradient) is
small in the tropics and larger in the middle
latitudes (30–601 N or S) with the exception of
the sharp gradient near the Antarctic coast. The
gradient is stronger during winter. The temperature

change from Equator to pole is also greater at the
surface than in the middle troposphere.

4. The coldest temperatures are in the winter polar
region and near the equatorial tropopause.

5. In much of the lower stratosphere, the zonal mean
temperature gradient is reversed from the tropo-
sphere.The reversal is evident inmuchof the tropics
and middle latitudes. The main exceptions are the
higher latitudes and part of the Southern Hemi-
sphere middle latitudes during winter.

Mass fields The temperature field is related to the
mass fields in several ways. For example, the hypso-
metric equation demonstrates that the spacing be-
tween isobaric surfaces is proportional to the mean
temperature of the air between those surfaces. In the
troposphere, air is warmer in the tropics, thus the
vertical distance between any two isobaric surfaces
(the ‘thickness’) is larger than in the extratropics. Since
the variation of surface pressure over the Earth is
rather small, this implies that the altitude of a constant
pressure surface (200 hPa, say) on average increases
from Pole to Equator.

The zonal mean geopotential heights of the 500 and
1000 hPa surfaces are shown in Figure 3. The 500 hPa
surface is representative of geopotential height surfac-
es in much of the troposphere and lower stratosphere.
At 500 hPa, the geopotential heights are greater in the
tropical regions with lowest values near the poles. The
gradient between Equator and pole is strongest in
the middle latitudes. The 1000 hPa height pattern
is representative of the mass field near the surface. The
surface pattern is quite different from levels
above: pressure is relatively low along the Equator
and in middle latitudes; pressure is highest in the
subtropics.

Zonal Velocity

The zonal wind is directed positive when blowing
towards the east. Outside the equatorial region, the
mass and wind fields are in approximate geostrophic
balance. The meridional gradient seen in the tropo-
spheric geopotential height fields implies a westerly
wind that is stronger in middle latitudes. At the
surface, comparatively weak winds are expected.

The thermal wind relation states that vertical shear
of the zonal wind is proportional to the meridional
gradient of temperature and inversely proportional to
the Coriolis parameter. The temperature gradient in
much of the troposphere is directed equatorward, an
orientation implying westerly wind shear. Since the
tropospheric temperature gradient is stronger in mid-
dle latitudes, one expects the westerly shear to be
stronger there as well. The temperature gradient
reverses in the tropical and middle latitudes of the
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lower stratosphere, implying easterly shear.Therefore,
one anticipates westerly winds to increase with height
in the troposphere and to decrease above it, in the
lower stratosphere. In short, the stronger westerly
winds tend to occur at tropopause level.

Another constraint on the zonal wind is angular
momentum balance. If the winds at the surface were

everywhere westerly, say, then those winds would
apply a net torque upon the surface of the Earth. A net
westerly torque would speed up the rotation of the
Earth and the days would be getting shorter. However,
the angular momentum of the Earth is essentially
constant. Thus the areas of easterly winds must be
balanced by areas of westerly winds at the surface.
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The zonal mean of the zonal wind is shown in
Figure 4 for winter and summer. Areas that are shaded
indicate easterly winds. The following properties are
evident from the figure:

1. The surface winds are generally easterly in the
tropics, which make up approximately half of the
surface of the globe. The surface winds are westerly
primarily in the middle latitudes.

2. The winds generally gain a westerly component
with elevation. For the tropical troposphere, the
easterly wind decreases with increasing elevation.
Formuch of themiddle latitudes, the westerly wind
increases with height until the tropopause. Above
the tropopause, the shear reverses and westerlies
decrease with increasing height. The principal
exception is the middle latitudes of the Southern
Hemisphere in winter. These properties, including
the exception, are anticipated from the temperature
gradients.

3. In the high-latitude winter stratosphere, westerly
winds increase with height. It is difficult to see with
the vertical coordinate chosen, but these westerly
winds are associated with the polar night jet. That

jet reaches maximum speed in the upper strato-
sphere (10–30 hPa level).

4. The subtropical jets are prominent maxima at
the midlatitude tropopause. These jets are
stronger and migrate to a lower latitude in winter.
In the Southern Hemisphere during winter, strong
winds of the polar night jet extend into the
upper troposphere, creating the impression that
there are two tropospheric jets on upper-level
isobaric charts.

Meridional Circulations

The meridional wind is comparable in magnitude to
the zonal wind in many instances. However, if the
meridionalwind is geostrophic, then a zonal average is
the integral (with respect to longitude) of a longitudi-
nal derivative. Unless a mountain is intercepted, this
integral must be zero because the integral completes a
circuit. Since the total wind is nearly in geostrophic
balance outside the tropics, the zonalmeanmeridional
wind is very small outside the tropics.

Since the observed lapse rate is less than the dry
adiabatic lapse rate, it follows that vertical motions
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are resisted. One consequence is that vertical motions
are far smaller in magnitude than are horizontal
motions on this large scale. Large-scale vertical
motion cannot be measured directly since it is smaller
than the errors of the observing systems. Vertical
velocity can be estimated indirectly from quantities
that are measured with some confidence. One proce-
dure is to estimate the meridional winds from an
equation for angular momentum balance and then
deduce a streamfunction in the meridional plane. An

alternative procedure is to input observed fields into a
primitive equation general circulation model and let
the model deduce the vertical motion. The latter
procedure obtained the motions shown in Figure 5.

The zonal mean motions in the meridional plane
have the following properties:

1. The motion is organized into distinct patterns
commonly referred to as meridional cells. The
most prominent cells occur in the tropics and are
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often called the ‘Hadley’ cells. In the middle
latitudes of each hemisphere is found a weaker
circulation, usually called the ‘Ferrel’ cell.

2. The meridional cells are much stronger during
winter both in terms of the areal extent they occupy
as well as the vigor of the circulation. The winter
Hadley cell has significant flow across the Equator.

3. The Hadley cell circulates in an intuitive sense:
Rising motion occurs where the atmosphere is

warmer, and sinking motion where it is cooler. The
temperature distribution over the globe is statically
stable in the dry sense. However, in the lower
tropical troposphere the air is verymoist and nearly
neutralwith respect to apsuedoadiabatic lapse rate.
The upward motion of the Hadley cell is driven by
latent heat release as water vapor is converted into
precipitation. Precipitation is therefore expected to
be a maximum in the tropics. In order to overcome
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the moist static stability and entrainment as air
parcels rise into the upper tropical troposphere, the
rising motion is embedded within thunderstorms.
These thunderstorms occupy a very small fraction
(about 0.5%) of the tropical surface area. Air
parcels in the poleward-moving branch of the
Hadley cell cool radiatively; as their potential
temperature decreases, these parcels sink.

4. In the Ferrel cell air appears to rise where temper-
atures are cooler and sink where they are warmer.
This Eulerian mean motion should not be confused
with the actual paths of air parcels. In middle
latitudes parcel motions are strongly influenced by
baroclinic waves.When an average is taken around
a latitude circle at constant pressure the resulting
mean has the sense given by the Ferrel cell. Such a
mean does not reflect the motions of air parcels. On
the other hand, if an average is taken along constant
entropy surfaces (isentropic coordinates), it reflects
the nearly adiabatic motion in the eddies, and the
resulting mean meridional circulation has the same
sense as the Hadley circulation.

5. The radiative energy distribution requires a merid-
ional circulation to transport heat poleward. The
meridional motions of theHadley cell transport the
same mass poleward as southward (ignoring the
mass due to moisture). The Hadley cell has a net
heat transport because the upper-level air has
higher moist static energy than does the lower-level
air. In the case of the Ferrel cell, the frontal systems
have strong heat fluxes that can be deduced from
westward tilts with height of the trough and ridge
axes of these waves.

Precipitation

Precipitation is linked to the general circulation in
several ways. Figure 6 shows the zonal mean distribu-
tion of precipitation. The largest precipitation occurs
in the tropics and is associated with the rising branch
of the Hadley cells. In some seasons, two equatorial
maxima are found, the explanation forwhich becomes
clear when time mean fields are considered. Where
sinking motion is seen in the meridional cells, precip-
itation is suppressed. Secondary maxima occur in
middle latitudes that are superficially linked to the
rising branch of the Ferrel cells, but are more properly
associated with the extratropical cyclones.

Time Average Characteristics

Midlatitude Planetary Waves and Storm Tracks

The mass and temperature fields have significant
longitudinal variation. Away from the surface, the

timemean pattern is characterized by long waves. The
500 hPa geopotential height (Figure 7) is typical of the
troposphere. Prominent troughs are seen near the
midlatitude east coasts of Asia and North America.
The temperature field beneath (e.g., at 700 hPa) also
has troughs near these regions. Aweaker geopotential
trough occurs over theMediterranean and north-west
Africa. At the base of each trough the height contours
are more closely spaced; from geostrophic balance
wind speeds would be expected to be relatively
stronger there. Ridges are found in between, most
prominently in north-western North America and
Europe. In summer, the North American trough
remains visible owing to the Baffin and Greenland
ice sheets.

Most of the weather in the middle latitudes is
created by travelling frontal cyclones. These cyclones
interact with the planetary wave pattern in various
ways. Cyclones prefer to form, propagate and decay in
specific regions. Generally speaking, cyclogenesis is
favored in three types of regions: near the east coasts of
continents, on the lee side of major mountain ranges,
and where large-scale surface temperature gradients
are strong. Most of these regions coincide with the
locations of longwave troughs. The last type includes
the area south of Africa and much of the southern
Indian Ocean. The cyclones generally progress east-
ward and poleward as they evolve. In the Northern
Hemisphere cyclones oftenmergewith or supplant the
‘semi-permanent’ Aleutian and Icelandic lows (Figure
8). The storm tracks showup in the precipitation fields
(Figure 9) as bands of heavier precipitation in the
middle latitudes across the oceans. Precipitation is
also enhanced where westerlies encounter mountain
ranges, especially the western, midlatitude mountain
ranges of South and North America.
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Figure 6 Zonal mean precipitation in mmd� 1 for December–

February (solid line) and June–August (dotted line). CMAP

1979–99 data used.
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Subtropical Highs

At the surface one finds prominent high-pressure
regions in the subtropics (Figure 8). A three-way
balance between the pressure gradient, Coriolis, and
turbulent drag forces implies divergence at a surface

high. Surface divergence is consistent with the
sinking, and here it is the sinking branch of the
Hadley cells. The sinking is apparent in Figure 10
as areas where upper-level divergent winds con-
verge. When longitude is included, the subtropical
highs have a clear preference for the eastern sides
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Figure 7 Time mean geopotential heights of 500 hPa surface for (A) December–February and (B) June–August. Interval is 100m.

NCEP/NCAR reanalysis data 1979–99 from CDC. Major extratropical cyclone storm tracks are also marked using dashed arrows; tails

located in regionspreferred for cyclogenesisandheads in regionspreferred for cyclolysis. The tracksarehighly idealizedandarededuced

fromvarious sources, including:Simmonds I andMurrayR (1999)Southernextratropical cyclonebehavior inECMWFanalysesduring the

FROST special observing periods.Weather Forecasting 14: 878–891; Sinclair M (1995) A climatology of cyclogenesis for the Southern

Hemisphere.MonthlyWeatherReview123: 1601–1619;Whitaker LandHornL (1984)NorthernHemisphereextratropical cycloneactivity

for four mid-season months. Journal of Climatology 4: 297–310.
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Figure 8 Time mean sea level pressure for (A) December–February and (B) June–August. Interval is 5 hPa. NCEP/NCAR reanalysis
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of the major ocean basins. The mechanisms felt
to be responsible for this preference are asso-
ciated with the colder ocean temperatures at
these longitudes. The colder temperatures foster low
stratus clouds, which in turn create a net radiative
cooling of the air. As the air cools, it sinks. The areal
extent of the highs is influenced by other factors
such as the midlatitude storm tracks and tropical
convection. In summer, these factors allow much
greater expansion of the subtropical highs in the
Northern than in the Southern Hemisphere. The
tropical convection, mainly equatorward and to the
west of the subtropical high, feeds the circulation
supporting the high; this link is observable in the
divergent winds.

Divergent Tropical Circulations

The zonal mean Hadley circulation implies vigorous
upward motion near the Equator and that motion is
driven by precipitation. The time mean precipitation,
Figure 9, has a clear preference for tropical land
areas and regions of warmest sea surface temperature.
In northern summer, precipitation is greatly enhanced
over Brazil, the western tropical South Pacific, and
the Indian Ocean, while at other longitudes it
remains closer to the Equator, resulting in the double
maximum seen in Figure 6. The upward motion
has similar zonal variation (e.g. 700 hPa level in
Figure 5B).

The Hadley cell upward motion is part of the
divergent winds of the tropics. Diverging arrows
in Figure 10 imply rising motion below. Following
the divergent wind vectors appears to connect areas
of preferred rising with the sinking above the sub-
tropical highs. Some divergent winds are poleward
and thus consistent with the Hadley circulation
at 200 hPa. The strongest areas of divergence in
Figure 10 overlie South-east Asia and Indonesia and
Amazonia. In northern summer, the South-east
Asian Monsoon is prominent. The figure also shows
prominent east–west motion over the Pacific that is
generally referred to as the ‘Walker’ circulation. The
Walker circulation apparently connects sinking
over the subtropical highs of the eastern Pacific with
the far western Pacific precipitation. The rising
air is fed by low-level convergence that results from
ageostrophic motions that occur for relatively low
surface pressure. Observations show a large correla-
tion between heavier precipitation in Indonesia, lower

pressure there, and stronger Pacific subtropical
highs.

Subtropical Jet Streams

Zonal variations of the subtropical jet streams are
linked to many of the phenomena discussed above.
The timemean wind speed is plotted in Figure 11. The
jet streams have relativemaximanear the east coasts of
Asia and North America. These maxima are much
stronger during winter. The height gradients are
stronger there as well, consistent with geostrophic
balance. Stronger portions of the jet streams occur in
the middle latitudes of the Southern Hemisphere.
Further south (near 601 S) is another maximum during
southern winter that extends into the high strato-
sphere (where it becomes the polar night jet) on a time
average.

The divergent winds of the Hadley cell advect
planetary angular momentum poleward and
thereby strengthen the subtropical jets in preferred
regions. In the case of east Asia, divergent flow
northward from the Indonesia region during northern
winter builds higher pressure to the south east of the
Asian longwave trough. This amplifies the height
gradient on the south-east side of that trough (e.g.
Figure 7A). The divergent flow southward from the
Indonesia region leads to the stronger jet over
Australia.

See also

Dynamic Meteorology: Balanced Flows; Overview;
Primitive Equations; Waves. General Circulation: Ener-
gyCycle;Overview;Models.HadleyCirculation.Middle
Atmosphere: Zonal Mean Climatology.Monsoon:Over-
view. Planetary Atmospheres: Mars; Venus. Synoptic
Meteorology: Weather Maps. Tropical Meteorology:
Tropical Climates.
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Introduction

Angular momenta can be defined for nearly all
physical systems, ranging from the atomic scale to
that of galaxies. Their investigation is particularly
useful and revealing in systems where rotation is
important, the Earth with its atmosphere and oceans
providing an obvious example. Here, we will concen-
trate on the angular momentum M of the global
atmosphere, keeping in mind, however, thatM is only
part of the angular momentum of the planet.

The global angular momentum is the integral

M ¼
Z
V

rm dV ½1�

of the specific angular momentum

m ¼ r� vþ r�Xð Þ ½2�
weighted by the density r over the volume V of the
atmosphere. In eqn [2], r is the position vector pointing
from the center of the Earth to the volume element dV
(see Figure 1), v is the relative velocity of the air in dV
with respect to the Earth, and r�X is that part of the
velocity of dV which is due to the Earth’s rotation. The
angular velocityX of the Earth points in the direction
of the Earth’s rotation axis with Xj j ¼ O ¼ 2p day�1.
By definition, m is oriented normal to r, that is, it is
almost parallel to the surface of the Earth.

The vectorM has three components. It is customary
and convenient to choose a coordinate system rotating
with the Earth with unit vectors ii, where i1 and i2 are
embedded in the equatorial plane,while i3 is parallel to
the rotation axis (see Figure 1). Correspondingly,

M ¼ M1i1 þM2i2 þM3i3 ½3�
where M1; M2 are the equatorial components of M
while the component M3 is named ‘axial’. Contribu-
tions of the relative velocity to Mi are called wind
terms (eqns [1], [2]), while those by the rotation of the
Earth are the mass terms, because density r is the only
time-dependent factor in these terms.

There are essentially two reasons for introducing
this relatively complicated quantity M. Although
momentum is simpler to define than angular momen-
tum, the equations governing momentum in a spher-
ical atmosphere are rather awkward in contrast to
those for m. This relative simplicity is due to the fact

that the angular momentum of the atmosphere can
change only because of torques. Such a simple rule
cannot be formulated for momentum. Thus M is
indeed the quantity to be examined if one wants to
study global atmospheric motion. Moreover, changes
ofM have immediate consequences for the rotation of
the solid Earth itself. Just as is true forM, only torques
can alter the total angular momentum of the solid
Earth, the oceans and the atmosphere. There are no
such torques except those exerted by theMoonand the
Sun, which are of no concern here. Thus any change of
M is reflected in a corresponding change of the angular
momentum of the Earth and that of the oceans.
Alterations of the length of the day and of the direction
of the Earth’s rotation axis can be traced back, at least
partially, to variations ofM. Thus, the global angular
momentum of the atmosphere is a key quantity if one
wishes to understand and predict variations of the
Earth’s rotation.

Angular Momenta: Observations

Obviously, a reliable evaluation ofM on a day-by-day
basis requires global data sets of density and wind of
high quality as became available during the last
decades. Given the data it is straightforward to
evaluate the integral in eqn [1]. As examples, both
the axial wind term and the axial mass term for the

i3M3

i2M2

i1M1

u

w
v

r

dV

Figure 1 Rotating Earth and the components iiMi of the global

angular momentum M. Also given is the position vector r pointing

from the center of the Earth towards a volume element dV of the

atmosphere. This element is rotating with velocityX�r around the

axis i3 and has a relative velocity v (see also eqn [2]). The

components ðu; v ; wÞofv are defined in the local coordinate frame

attached to dV .
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year 1989 are displayed in Figure 2. Themass term has
been reduced inFigure 2by a constant in order tomake
both terms better comparable. The wind term has a
mean value of � 1:4�1026 kgm2 s�1

� �
but variations

throughout the year are large. There are also oscilla-
tions of small amplitude. However, those due to the
atmospheric tides are not resolved in this figure. The
variability of the mass term is smaller that that of the
wind term. The total angular momentum M3 is the
sum of both terms in Figure 2. Its variability is, of
course, dominated by that of the wind term.

The time series of M1 in Figure 3 is much noisier
than that of M3 in Figure 2. The mean value is quite
small and there are rapid variations with time scales of
a few days. These oscillations have a characteristic
amplitude of B5� 1024, which is somewhat smaller
than that for the axial mass term in Figure 2B. The
other equatorial component, M2, has a surprisingly
large mean value, which is thought to be linked to the
distribution of themainmountainmassifs onEarth. Its
oscillations are of the same order of magnitude as
those of M1. Wind and mass terms Mw;Mm can be
defined for M1; M2 in analogy to M3. The variability
of the equatorial mass terms is larger than that of the
wind terms.

Torques: Equations

Figures 2 and 3 invite the questionwhich processes are
responsible for the variability of M. The magnitude
jMj of angular momentum would be conserved for a
perfectly spherical and slippery Earth. The vector

would rotate westward and complete its rotation in
one day. In reality, angular momentum can be trans-
ferred to and received from the oceans and the solid
Earth via the orography and through friction at the
surface, that is, mountain and friction torques affect
M. The gravity field may also exert a torque which is
felt by the equatorial components. As has been
mentioned above, the sum of all angular momenta,
namely that of the solid Earth, that of the oceans, and
that of the atmosphere remains constant during such
transfers.

Let us concentrate first on the axial component. As
can be seen from Figure 1 and eqn [2], the vertical
velocity w does not contribute to M3, because this
component of the velocity has the same orientation as
the position vector r. The meridional component v is
oriented parallel to the meridians, so that its contri-
bution is embedded in the equatorial plane. Thus, it is
only the absolute zonal velocity uþ Oa cos j which
enters in

M3 ¼
Z
V

r uþ Oa cos jð Þ a cos jdV ½4�

where a is the radius of the Earth and j is latitude. We
have to consult the equation of zonal motion on the
sphere in order to derive an equation forM3. It is of key
importance that this equation can be written to read

qrm3

qt
þr3 � rvm3ð Þ ¼ � qp

ql
þr3 � sa cos jð Þ ½5�

where t is time, l is longitude, p pressure, and

s ¼ �r u0v0
� � ½6�

M M J S N J

1

0

M M J S N J

1

0(B)

(A)

Figure 2 Axial wind term (A) and mass term (B) in

(1026 kgm2 s�1) for the year 1989. Data from the ERA set

(European Center for Medium-Range Weather Forecasts, Re-

Analysis project). The constant c ¼ 1:01�1028 kgm2 s�1 has been

subtracted from the mass term.
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Figure 3 Equatorial angular component M1 in (1025 kgm2 s� 1)

for the year 1989. Data from the ERA set.
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is the stress vector related to the zonal flow component.
The primes in eqn [6] represent turbulent fluctuations
and the bar stands for an appropriate averaging pro-
cedure. A change of rm3 with time can be caused by the
divergence of the transport of angular momentum
(second termonthe leftof eqn [5]), bypressurevariations
along latitude circles (first term on the right) and by the
divergence of the transport by turbulent motions where
it is understood that all other variables in eqn [5] do not
represent turbulent motions of small scale.

An integration of eqn [5] over the volume of the
atmosphere must take into account the lower bound-
ary as given by the topography h l;jð Þ of the Earth. Of
course, h � 0 in oceanic regions, but h may vary
substantially over short distances on the continents.
Nevertheless, the divergence term on the left does not
contribute to the total integral because transports of
angular momentum by the wind cannot penetrate the
lower boundary. However, the first term on the right
contributes if the pressure on the western slope of a
mountain differs from that on the eastern side.
Similarly, momentum can be transferred via ocean
waves. The last termdoes not vanishbecause turbulent
motion transfers angular momentum to the ocean and
the solid earth. Hence, the integration of eqn [5] over
the volume of the atmosphere yields

dM3

dt
¼ Tm3 þ Tf3 ½7�

where

Tm3 ¼ �
Z
S

ps
qh
ql

dS ½8�

is the mountain torque and

Tf3 ¼
Z
S

s � n a cos j dS ½9�

is the friction torque. In eqns [8] and [9], S is the
surface of the Earth, ps the surface pressure, and n a
unit vector oriented normal to the surface pointing
into the Earth. The atmosphere loses angular momen-
tum if the sum of both torques is negative. In
particular, angular momentum is transferred to the
Earth via the orography if the atmospheric pressure on
the western slopes, where qh=ql > 0, is generally
higher than on the eastern slopes. This situation is
illustrated in Figure 4, where a north–south-oriented
mountainmassif is assumed. A high-pressure system is
located to the west of this obstacle while a low is seen
to the east. Clearly, the contribution of this mountain
to Tm3 is negative because the surface pressure on the
western slope, where qh=ql > 0, is larger than on the
eastern one, where qh=qlo0. It is intuitively obvious
that the Earth is accelerated towards the east in this
case, i.e., the Earth is beginning to rotate faster and the

length of the day becomes shorter. This shows in turn
that the Earth gains the angularmomentum lost by the
atmosphere. In principle, the surface pressure should
have aminimumon topof themountain. The idealized
pressure distribution in Figure 4 is the difference of the
actual surface pressure distribution and that of a
reference atmosphere at rest, so that we see essentially
a reduced surface pressure in Figure 4.

The frictional torque is negative if the turbulent
transports are directed mainly towards the surface so
that s � nð Þo0. In general, westerly winds near the
surface are slowed down by friction and their positive
angular momentum is transferred to the Earth. Vice
versa, easterlies with uo0 are slowed down as well, but
their specific angular momentum is negative. If these
winds are decelerated via surface friction then the
atmosphere gains positive, westerly angularmomentum.

It is customary to split the mountain torque in two
parts. The horizontal resolution in global data sets is of
the order of a few hundred kilometers. On the other
hand, it is well known that gravity waves of a few
kilometers’ wavelength can also contribute to Tm3.
This contribution is not captured by the available data
sets and is currently estimated within the framework
of so-called gravity wave drag parameterization
schemes. It appears, however, that this part of the
mountain torque is small compared with that exerted
by the pressure field resolved, for example, in daily
weather maps. Therefore, we will henceforth disre-
gard the contribution by gravity waves.

The situation is more complex with respect to the
equatorial components. These are rotating with the
Earth and we have, therefore, to include correspond-
ing terms in the equations.Moreover, the Earth is not a

LH

Figure 4 Schematic of a situation in the Northern Hemisphere

whereaxial angularmomentum is transferred to theEarth.Dashed:

mountain height lines. Solid: isobars of surface pressure deviation

from a reference atmosphere.
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sphere but resembles an ellipsoid, with a bulge at the
equator. This deviation from sphericity does not have a
direct impact on M3 but must be taken into account
when considering the dynamics of M1 and M2. If, for
example, a high-pressure system is located in the
Northern Hemisphere and a low in the south of an
ellipsoidal planet (Figure 5), it is clear that this
pressure distribution leads to a torque quite similar
to that in Figure 4 except that the mountain is now the
bulge. This torque will not accelerate or decelerate the
rotation of theEarth, butwill induce a rotationnormal
to it, that is, the axis of the Earth’s axis will move.
Finally, the gravitational acceleration is not directed
exactly to the center of the ellipsoidal Earth. This
induces another torque in the budget equation forM1,
M2 (but not forM3!). Fortunately, it can be argued that
part of the rotational terms and the torques cancel, so
that the remaining equations are relatively simple:

dM1

dt
� OMw1 ¼ Tm1 þ Tf1 ½10�

dM2

dt
þ OMw2 ¼ Tm2 þ Tf2 ½11�

The respective mountain and friction torques act on
M1 andM2 the same way as doTm3 and Tf3 in eqn [7],

but the wind terms on the left multiplied by O
represent the combined impact of the rotation, of the
bulge and of the gravitational field. The formulas for
the torques in eqns [10] and [11] are more involved
than those for the axial components and are therefore
not given.

Torques: Observations

An accurate evaluation of the orographic and friction
torques is difficult if not impossible. To calculate Tmi

exactly, one has to know the surface pressure at all the
world’s mountain slopes. The surface pressure values
entering actual calculations of Tmi stem from fairly
complex analysis procedures which assume relatively
smooth topographies. The turbulent transports s � nð Þ
in eqn [9] can be observed at best at a few locations.
Instead, theories of boundary layer turbulence are
invoked to calculate these fluxes. Although these
theories are known to work well over the oceans and
also over flat terrain, they have been hardly tested in
rugged terrain. Even so, some confidence has been
gained from tests of where predictions of eqns [7],
[10], and [11] based on observed torques have been
compared with the actual changes of M.

The mountain torque Tm3 is displayed in Figure 6
for the year 1989.The torque is changingquite rapidly,
with typical amplitudes of � 3�1019 kgm2 s�2

� �
. If a

torque of this amplitude acts for one day then the
related change of M3 is 2.5� 1024 (kgm2 s�1). This
estimate is compatible with the observed fluctuations
ofM3 inFigure 1. The rapid fluctuations ofTm3 are due
to the motion of large-scale Rossby waves on the
spherical Earth. If, for example, a high–low-pressure
systemmoves eastward over amountain as inFigure 4,
the contribution to the global mountain torque, which
is negative in Figure 4, would become positive as soon
as the center of the highmoves beyond the peak. Then,

H

L

Figure 5 Schematic of a situation of the ellipsoidal Earth where

the surface pressure distribution (solid) is such that equatorial

angular momentum is exchanged with the Earth via the equatorial

bulge. The dashed rotation axis shows that position of the Earth’s

axiswhichwould result if this transferwould simply lead toachange

of direction. In reality, the response of the rotation axis is

considerably complex.
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Figure 6 Axial mountain torque Tm3 in (1019 kgm2 s� 2) for the

year 1989. Date from the ERA set.
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the surface pressure would be higher on the eastern
slope than in the west.

As has been mentioned, both Tm3 and Tf3 represent
a transfer of axial angularmomentum to the ocean and
the Earth. Figure 7 shows observations of the length of
the day for the years 1981 to 1985. The length of the
day exhibits a clear annual cycle. It is longest in the
Northern Hemisphere summer. There are many irreg-
ular changes of the length of the day of the order
B10�6 s. Also shown is that length of the daywhich is
calculated under the assumption that the oceans pass
on immediately to the Earth the angular momentum
they received from the atmosphere.We can see that the
agreement of both curves is quite good; this is possible
only if the evaluation of M3 on the basis of the avail-
able atmospheric date is reasonably accurate. More-
over, the oceans must comply with the assumptions.

An example of the motion of the polar axis due to
tidal torques is given in Figure 8, where the motion of
this axis along the Greenwich meridian is shown as
well as the predictions of amodel (dots). The observed
period of the oscillation is B12 h and the related
deviations of the axis from the mean positions are in
the range 10–15m. These oscillations are due mainly
to the oceanic tides. A model of global tidal motions
has been used to predict the changes of the direction of
the Earth’s axis in analogy to the predictions of the
changes of the length of the day in Figure 7. Obviously,
the model is far from perfect but captures the main
features of the observations. This example of ex-
changes of oceanic angular momentumwith the Earth
has been chosen because the atmospheric tides are too
weak for their impact on the Earth’s rotation axis to be
detectable at the moment.

Meridional Budget

It is of some interest to determine the contributions of
various latitude belts to the zonal angular momentum
budget (eqn [7]) for a climatic mean state. For
example, the Trade Winds contain a strong easterly
component near the surface, and therefore, transfer
negative angular momentum to the Earth. Hence,
the equatorial region is a source region of westerly
angular momentum for the atmosphere. In the
climatic mean state, a source in the equatorial belt
must be balanced by atmospheric transports of west-
erly angular momentum out of this region, because
otherwise westerly angular momentum would
accumulate there.

The corresponding budget equations follow
immediately from eqn [5], by integrating this equation
over longitude and the depth of the atmosphere:

1

a cosj
q
qj

Z 1

h

rvm3½ � cos j dz

¼ � ps
qh
ql

� �
þ s � n½ � a cos j ½12�

where the bracket stand for a zonal mean and where
steady-state conditions have been imposed q=qt ¼ 0ð Þ.
The term on the left represents the change of the
angular momentum transport with latitude, which
must balance the sources and sinks on the right. The
meridional distribution of these terms is displayed in
Figure 9.We see that surface friction provides indeed a
positive contribution in the equatorial belt. The
midlatitudes with their westerlies are, of course, sink
regions for the angular momentum. By and large, the
mountain torques have the same distribution in that
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Figure 7 Deviation of the length of the day in 10�6 s from a

reference value as observed (LOD) and as calculated of the basis

of changes of M3 ðM3Þ. (Adapted with permission from Volland

1996).)
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Figure 8 Deviation of the direction (solid) of the Earth’s axis of

rotation along the Greenwich meridian in mas where 1mas

corresponds to 31m for the first 10 days of 1998. Dots: predictions

of a model which takes into account the oceanic tides. (Adapted

with permission from Rothacher et al. 2001.)
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angular momentum is gained in the tropics and lost at
midlatitudes by the interaction of the flow with the
mountains.

Figure 9 raises a new problem. Which processes
are responsible for the transports of angular
momentum out of the tropics? This question has
been partly resolved by studying the transport term of
the left of eqn [12] on the basis of date. It is found that
there are indeed strong transports of angular momen-
tum out of the tropics in the upper troposphere. These
transports are carried out by Rossby waves. One
would then like to know how these waves learn
about the angular momentum balance of the atmos-
phere so as to provide the proper transports.
Such questions are, however, difficult to answer
because, for example, the intensity of the TradeWinds
depends also on the angular momentum transport

efficiency of the Rossby waves so that cause and effect
cannot be separated.

See also

Angular Momentum of the Atmosphere. Climate:
Overview. Rossby Waves.
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Introduction

General circulation of the atmosphere refers to the
time-averaged planetary-scale atmospheric motion
representing its long-term statistical behavior.General
circulationmodels (GCMs) are numerical models that
simulate the evolution,maintenance, and variations of
the general circulation of the atmosphere. A compre-
hensive numerical model of the atmosphere can be
used either as a GCM or as an extended numerical
weather prediction (NWP) model. The dependence
of the solution on initial conditions is usually not
emphasized in GCM applications, as in climate
simulations, or climate predictions of the second
kind, while it is crucially important in NWP applica-
tions, or climate predictions of the first kind.

The Early History of General
Circulation Modeling

The early history of GCMs, therefore, is hardly
distinguishable from that of NWP. V. Bjerknes first
advocated the idea of NWP in the early twentieth
century. This motivated the pioneering, albeit unsuc-
cessful, attempt by L. F. Richardson in 1992. Modern
GCM history, however, followed a quite different
path, which can be divided into a prelude and three
phases (see Figure 1). The prelude climaxed in the late
1940s through the rapid development of quasi-geo-
strophic theories of large-scale atmospheric motions.

Phase I began in 1950 when Charney, Fj�rtoft, and
von Neumann obtained successful 24-hour forecasts

of 500 hPa geopotential height using the two-dimen-
sional quasi-geostrophic vorticity equation. This suc-
cess demonstrated the relevance of a simple dynamical
model for daily weather changes, and dynamic meteo-
rology and synoptic meteorology began to merge.
Another epoch-making event during phase I was the
recognition that the dynamics of ‘cyclones’ and that of
the ‘general circulation’ were closely linked, as high-
lighted by the numerical experiment performed by
Phillips in 1956 using a quasi-geostrophic two-level
model with prescribed heating. In this experiment the
large-scale components of initially random distur-
bances grew as a result of baroclinic instability,
modifying the general circulation from the zonally
symmetric regime to the wave regime. Correspond-
ingly, the zonally averaged meridional circulation in
the middle latitudes changed from the Hadley type to
the Ferrel type, producing mid-latitude surface west-
erlies. In this way, the experiment captured funda-
mental features of the observed general circulation of
the atmosphere, whose causes had been more or less a
matter of speculation.

The beginning of phase II of general circulation
modeling roughly corresponds to the development of
early GCMs, including those at the Geophysical Fluid
Dynamics Laboratory (GFDL), University of Califor-
nia at Los Angeles (UCLA), Lawrence Livermore
National Laboratory (LLNL), and National Center
for Atmospheric Research (NCAR). Major changes
from phase I to phase II are listed below.

� The use of the primitive equations (i.e., the govern-
ing equations without quasi-geostrophic or similar
approximations on the balance between the mass
and velocity fields) became standard.

� Computational difficulties associated with the use
of the primitive equations and their long-term
integration were essentially overcome.

Numerical weather prediction models Regional NWP models

Global NWP models

Mesoscale models

General circulation models Coupled
atmospheric−oceanic

GCMs

I

1960 1970 1980 19901950 2000 2010

IIIIIPrelude

Figure 1 A chart showing the history (and near future) of numerical modeling of the atmosphere.
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� Heating was made the result of motion, as well as
the cause of motion, including water vapor mixing
ratio as a standard prognostic variable.

Development of these early GCMs stimulated the
meteorological community to look into the feasibility
of a global observation and analysis experiment. The
Global Atmospheric Research Program (GARP) then
followed at an unprecedented scale in the atmospheric
sciences. GARP tremendously stimulated and sup-

portedworldwide efforts in general circulationmodel-
ing almost throughout phase II.

The Scope of General Circulation
Modeling

The principal energy source for the general circulation
is solar radiation, which influences the atmosphere
primarily byheating at theEarth’s surface. The various
heat components in the atmosphere (and in the climate
system) are produced by complex interactions among
the processes shown in Figure 2. (Here large-scale
means scales larger than convection and turbulence
scales, and dynamical processes include associated
adiabatic thermodynamic processes.) The horizontal
scales of different atmospheric phenomena are shown
inFigure 3. (Here the arrow indicates the smallest scale
explicitly resolved by typical contemporary GCMs.)
Although there is a trend to use higher resolutions as
computer technology advances (dashed arrow in Figure
3), the collective effects of unresolved processes cannot
be ignored and, therefore, they must be formulated in
terms of the resolvable-scale prognostic variables. This
is the ‘parameterization problem’, which represents a
crucial part of general circulation modeling.

Basic Approximations and Upper and
Lower Boundary Conditions

Most GCMs use the ‘quasi-static approximation’, in
which the hydrostatic equation replaces the vertical

Boundary
layer

processes

Large-scale
dynamical
processes

 Large-scale
hydrological
processes

   Cloud 
processes

Ocean and land processes

  Radiation 
and chemical

processes

Precipitation

Figure 2 Basic processes in the climate system and their

interactions.
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Figure 3 Horizontal scales of typical atmospheric motions.
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component of the momentum equation and Coriolis
and metric forces that depend on the vertical velocity
are neglected in the horizontal component of that
equation. The approximation eliminates vertically
propagating soundwaves but has little effect on quasi-
horizontal motions. It is also justifiable for internal
gravity waves when the horizontal scale of motion is
sufficiently large (say, �15 km with typical static
stability). In the primitive equations, the quasi-static
approximation is the only major simplification on
dynamics.

When the model top corresponds to the top of the
atmosphere, it is reasonable to assume that there is no
vertical mass flux across the upper boundary. This
condition can be artificial, however, even when the
upper boundary is formally placed at the top of the
atmosphere, because in practice discrete models do
not have enough vertical resolution all the way to
infinity. At present, no simple but fully justifiable way
of handling the upper boundary is available for general
use in nonlinear discrete models.

The lower boundary condition is a statement that
Earth’s surface is amaterial surface. For a horizontally
discrete model, however, the effective height of the
surface to be used in the lower boundary condition
may be higher than the actual height averaged over the
grid box, depending on the sub-grid-scale variance
of orographic height. Considerations of this sort
lead to the idea of ‘envelope orography’. In most
GCM applications during phase II, the geographical
distribution of sea surface temperature (SST) was
prescribed.

Discretization of the Governing
Equations

General circulationmodeling also requires discretizat-
ion of the governing equations, in which the original
partial differential equations are replaced by a finite
number of algebraic equations. Experience shows that
discretization may seriously distort certain dynamical
aspects of the continuous system even when a reason-
ably high resolution is used. This aspect is particularly
important in GCM development for long-term inte-
grations of the governing equations.

Basic Terminology

When the Eulerian expression of the material time
derivative (D=Dt ¼ q=qt þ V .=) is used, discretizat-
ion is made in space and time. Space discretization can
be done using either finite difference methods or
spectral methods. In finite difference (or ‘grid-point’)
methods, differential operators in the equations are
replaced by difference operators. In spectral methods,

the dependent variable is replaced by a function
expressed as a finite series with global basis functions.

GCMs generally use either a finite difference meth-
od or a spectral method based on the spherical
harmonics for horizontal discretization, and finite
difference methods for the vertical and time dis-
cretization. Spectral methods are usually combined
with the transform method, in which products in
nonlinear terms are calculated at grid points in the
physical space rather than as interactions of waves.

If variables at a new time level appear not only in
the finite differenced time derivatives, the scheme
is implicit; otherwise it is explicit. Semi-implicit
schemes, in which implicit expressions are used in
selected terms in the prognostic equations, such as the
pressure gradient force in the horizontal momentum
equation, are often used to allow for longer time
intervals while maintaining computational stability. A
semi-implicit scheme is almost always used in the
spectral method.

The semi-Lagrangian method is becoming increas-
ingly popular for the advection terms in the dynamical
equations. Removing the restriction on the time
interval characteristic of explicit differencing schemes
is the major motivation for the Lagrangian approach.
Semi-Lagrangian schemes consider trajectories whose
arrival points coincide with grid points, which are
fixed in space, while values at departure points are
determined by interpolations from grid points. These
schemes are generally combinedwith the semi-implicit
method.

Vertical Coordinates and Grids

The choice of vertical coordinate canmake substantial
differences in a discrete system. Most existing GCMs
use the s coordinate (s is pressure divided by surface
pressure) or a hybrid s–p coordinate, where p is the
pressure. The lower boundary condition is simplewith
a coordinate of this type, since the Earth’s surface is a
coordinate surface (s ¼ 1). The pressure gradient
force, however, consists of the sum of two terms with
comparable magnitudes and opposite signs over steep
topography. Discretization errors, therefore, can be
serious in the sum even when they are small in
individual terms.

The most commonly used vertical grid for primitive
equation models is the Lorenz grid, shown in Figure
4A for the s coordinate. With this grid, the model
atmosphere is divided into sublayers, and the ‘vertical
velocity’ of the coordinate (

.s � Ds=Dt) is defined at
the interfaces between sublayers. The budget equa-
tions for mass and three-dimensional prognostic
variables, such as horizontal velocity v and poten-
tial temperature y, are then applied to the sublayers.
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The Lorenz grid, therefore, is convenient for keeping
track of budgets of three-dimensional variables. There
is, however, a computational mode in the vertical
structure of y. This problem does not exist in the
Charney–Phillips grid shown in Figure 4B, which
predicts y at the interfaces where

.s is defined.
Most GCMs use an Eulerian finite difference system

in the vertical. As with the horizontal finite differ-
encing, semi-Lagrangian finite differencing is becom-
ing popular for the vertical advection. The number
of vertical levels in current GCMs varies between
roughly 30 and 60.

Horizontal Coordinates and Grids

Most GCMs use longitude–latitude grids based on the
spherical coordinates. Finite differencemethods based
on such grids, however, must deal with the ‘pole
problem’ as meridians converge near the poles. There
are solutions to this problem, but none is fully
satisfactory. Spectral methods based on spherical
harmonics avoid the problem, but have difficulties in
advecting highly variable positive-definite scalars such
as moisture. Thus, many GCMs that were formerly
spectral have evolved into hybrid models in which
advective processes are represented using finite differ-
ence methods. When the quasi-uniform spherical
‘geodesic’ grids generated from icosahedra or other
Platonic solids are used, the pole problem does not
exist.

Conceptually, the simulation of large-scale atmos-
pheric flow requires the proper simulation of geo-
strophic adjustment by dispersion of inertia-gravity
waves and that of the slowly changing flow after
geostrophic adjustment has taken place. The simula-

tion of geostrophic adjustment can be greatly affected
by the choice of horizontal grid structure through
different dispersion properties of the inertia-gravity
waves in the discrete system. Figure 5 shows some grid
structures for the shallow water equations, where h is
the free surface height, and u and v are the horizontal
velocity components. The nomenclature Grid A
through Grid E with h replaced by a scalar prognostic
variable is often used for describing the horizontal grid
structure of GCMs. The computational design for
slowly changingflow is also important inmaking long-
term integrations of the governing equations. Here,
avoiding excessive nonphysical production or dissi-
pation of quadratic functions of prognostic variables
has been found to be effective.

The horizontal resolutions of current GCMs vary
widely according to the intended applications. Grid
sizes used for low-resolution climate simulations are
around 400 km, while for numerical weather predica-
tion the grid size can be one order of magnitude
smaller.

Parameterization of Physical
Processes

GCMs include formulations of most or all of
the physical processes shown in Figure 2; the
quality of the simulations depends crucially on those
formulations.

Radiation

The net radiative heating is obtained from parameter-
izations of radiative transfer by visible and near-
infrared solar radiation and cooling by long-wave
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Figure 4 The Lorenz (A) and Charney–Phillips (B) vertical grids with the s-coordinate.
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terrestial radiation. The calculations are usually made
for clear and cloudy conditions.

For the solar radiation, the calculation of absorp-
tion requires consideration of all absorption lines of
atmospheric constituents at each grid point. Since this
is too demanding, methods used are based on func-
tional relations for absorption in fairly broad spectral
intervals. Scattering of solar radiation must be con-
sidered. One approach to include scattering is to
assume that the radiation can be divided into upward
and downward streams of radiant energy (‘two-
stream’ methods). For the long-wave radiation,
the principal gases considered are H2O and CO2.
Other important gases are O3, CH4, N2O, and CFCs
(chlorofluorocarbons). The calculation is also per-
formed by band models.

Radiative calculations require specification of frac-
tional cloud cover within the grid box. This is one of
the major uncertainties in current GCMs.

Formulation of Planetary Boundary Layer (PBL)
Processes

The standard practice in numerical models of the
atmosphere is to calculate surface fluxes using the bulk
aerodynamic method. The Monin–Obukov surface
layer similarity theory shows that the transfer coeffi-
cients depend on the surface roughness length and the
bulk surface Richardson number.

In view of the vertical resolutions in GCMs,
however, values in the surface layer are unknown
and must be diagnosed from the values predicted
above. The main differences between different PBL
parameterizations for GCMs appear in the way of
representing PBL processes above the surface layer.
Recently, the importance of representing (vertically)
nonlocal effects of PBL turbulence has been widely
recognized. Processes crucial for a cloud-topped PBL,
however, are included in only a few GCMs.

Dry-Convective Adjustment

If the temperature lapse rate exceeds the dry adiabatic
lapse (qy=qz is negative), the atmosphere is dry-
convectively unstable and small-scale (dry) convection
will develop. In most GCMs this process is parame-
terized as an instantaneous adjustment of the unstable
vertical profile of y to a neutral profile.

Condensation Processes

Most GCMs include grid-scale condensation as an ad-
justment toa saturated statewhen thewatervapormixing
ratio at a grid point tends to become supersaturated.

If the temperature lapse rate sufficiently exceeds the
moist adiabatic lapse rate and if the relative humidity
is sufficiently high, small-scale cumulus convection is
expected to develop. Formulating the collective effect
of such cumulus convection, which is not resolved by
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usual GCMs grids, in terms of resolvable-scale
prognostic variables is called cumulus parameteri-
zation.

There are schemes in which cumulus effects are
directly formulated using large-scale low-level con-
vergence as the forcing mechanism. An increasing
number of cumulus parameterizations currently used,
however, formulate the effect of moist-convective
processes on large-scale fields as cumulus adjustment
and correspondingly identify, if necessary, how large-
scale processes control cumulus convection against the
adjustment (large-scale forcing). This is typically done
as a combination of a cloud ensemble model and an
assumption about the quasi-equilibrium states. These
states can be considered as neutral or marginally
unstable states from the viewpoint ofmoist-convective
instability.

There are still a number of uncertainties in formu-
lating cloud processes for a cumulus parameterization,
as illustrated by the question marks in Figure 6.

Parameterization of Cloud Fields

The coupling between radiative and dynamical–hy-
drological processes through time-dependent cloudi-
ness has been either completely neglected or modeled
very crudely even in comprehensive GCMs. This
represents the major uncertainty in the role of cloud
feedbacks in climate change.

The standardmethod for determining time-depend-
ent fractional cloudiness is based on an empirical
diagnostic relationship between its values and relative
humidity. Even when this approach is applicable,
however, prediction of mean relative humidity cannot
be done without considering sub-grid-scale cloud
processes. A more physical determination of cloud
effects on radiation involves the following problems:

1. Determination of the total amount of cloud water/
ice in a grid box.

2. Determination of cloud geometry, including the
variation of cloud water/ice within a grid box.

3. Determination of the radiation properties of
clouds.

An increasing number of GCMs use a ‘partially
prognostic’ approach for (1), in which mean cloud
water/ice mixing ratio is predicted with an advection
equation with parameterized microphysics. A ‘fully
prognostic’ scheme, which predicts cloudiness
through explicitly including cloud generation pro-
cesses involving (1), (2), and (3) has begun tobe used in
some GCMs.

Sub-Grid-Scale Orographic Gravity Waves

Internal gravity waves forced by sub-grid-scale oro-
graphy can produce a drag at the surface. Near the
surface, however, the deceleration effect due to this
drag is compensated by convergence of the downward
momentum transport by the waves. Thus the actual
deceleration can happen remotely at higher levels
wherewave breaking takes place.Most currentGCMs
include a parameterization of this effect due to sub-
grid-scale orographic gravity waves.

Land Surface Models

In the simplest (and earliest) land surface models used
in GCMs, moisture conditions are prescribed. This
may produce reasonable mean evaporation fields, but
it precludes land–atmosphere interactions. The sim-
plest interactive land surface model is the so-called
‘bucket’ model, in which water level in a reservoir of
soil moisture increases owing to precipitation and
decreases owing to evaporation (and runoff).

More recent models give vegetation a more direct
role in determining the surface energy and water
balance, particularly by allowing stomatal conduct-
ance (and thus evaporation efficiency) to decrease in
response to increased environmental stress. Recent
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Figure 6 Outstanding questions in modeling of cloud processes for cumulus parameterization.
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trends include the explicit representation of spatial
heterogeneity in surface characteristics within a sur-
face element.

Microphysical Processes

Many GCMs have recently incorporated parameter-
ized microphysical processes. These include conden-
sational growth of cloud droplets; depositional
growth of ice crystals; homogeneous, heterogeneous,
and contact freezing of cloud droplets; and autocon-
version of cloud droplets. They also include aggrega-
tion of ice crystals; decretion of cloud ice and cloud
droplets by snow and of cloud droplets by rain;
evaporation of cloud water and rain; sublimation of
cloud ice and snow; andmelting of cloud ice and snow.

Chemical Processes

Early attempts to combine GCMs and models of
atmospheric chemical processes followed an ‘off-line’
approach, in which fields generated by the former (e.g.,
winds) drive the latter (e.g., chemical species). More
recently, GCMs and chemistrymodels have often been
coupled ‘on line’, thus allowing for the feedbacks
among dynamical, radiative, and chemical processes.
In some cases the advective and convective processes
that transport chemical species are calculated by the
chemistry model; in others they are calculated by the
GCM itself.

Water Isotopes

Water isotope diagnosis has been incorporated into
some GCMs. Isotopes are influenced by many factors
such as precipitation amount, regional geography, and
distance from the sources of precipitating water.
Additional difficulties for interpretation of results in
terms of paleoclimate are that isotope–temperature
relationships seem to vary with climate state.

GCM Applications

GCMs have two primary applications: weather and
climate prediction, and investigations aimed at in-
creasing understanding of the climate system. For
deterministic numerical weather prediction the model
is initialized by combining model predicted and
observed data. The current standard technique for
prediction is based on performing ensembles integra-
tions, in which each ensemble may have a few dozen
members. At present, the limit of practical predicta-
bility achieved by deterministic forecasts is 7–8 days in
winter, as determined by mid-latitude anomaly corre-
lation 60% score.More recently, GCMs coupled to an
oceanic general circulation model have been used for
climate predictions of the first kind. It is too early to

determine the limit of practical predictability in this
case, but successes from several months in advance
have been reported.

For the second application, the typicalmethodology
for research starts by performing a GCM simulation
long enough to achieve quasi-equilibrium, which is
then defined as the model’s climate. The next step
repeats the simulation by altering the model compo-
nent representative of the process under investigation.
One of the earliest applications of this technique
addressed the role played by the Himalayas on the
Indian summer monsoon by comparing model cli-
mates with and without those elevations. The tech-
nique has been applied extensively to examine the
global impacts on the atmosphere of SST anomalies,
such as those associated with El Niño and La Niña
events in the Pacific Ocean (see Figure 7), as well as
similar phenomena in the other oceans. The underly-
ing assumption in all these experiments is that one can
separate the atmospheric anomalies from those that
are ultimately associated with the change in boundary
conditions.

Another important GCM application has been
climate change expected as a result of the changing
atmospheric composition. GCMs are particularly
suitable for this problem, which involves many inter-
actions and feedbacks. The impact of increased
greenhouse gases has been assessed by comparing
model climates with different concentrations of those
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gases. For these studies, atmosphericGCMshave been
coupled to ocean models of diverse complexity. Such
coupledmodels can be used to explore how the oceans
can delay the effects of greenhouse warming. More
recently, the role of increasing sulfate aerosols has
been questioned and GCMs have been coupled to
sulfur chemistry models. Such models can be used to
assess the indirect aerosol forcing problem, namely,
the impact on climate of changes in reflectivity,
formation, and residence time of clouds in the presence
of aerosols.

GCM simulations with concentrations of ozone in
the lower stratosphere prescribed from observational
data suggest that depletion of lower-stratospheric
ozone is the major radiative factor in accounting for
the observed 1979–1990 cooling trend in the global,
annual mean stratosphere, with a substantially lesser
contribution by the greenhouse gases. Other studies
have addressed the interactive radiative–chemical–
dynamical effects of ozone losses in theAntarctic polar
region during the southern spring.

Computational Aspects

The computer code of all contemporary GCMs is
highly optimized for vector computer architectures.
Most models have also been ported to massively
parallel computer architectures. Atmospheric GCM
codes are very heterogeneous and their optimization is
not simple. The major current parameterizations
operate in vertical columns of the atmosphere. If a
two-dimensional grid partition in the horizontal
(longitude–latitude) is used, very little communication
is required between processors. However, the amount
of calculations (e.g., those for moist convection) can
strongly vary in space and time, resulting in a dynamic
load imbalance. The ‘pole problem’ requires applica-
tion of Fourier filters, resulting in a static load
imbalance. Performances on the order of 50 gigaflops
have been reported.

GCM Verification

Verification of the performance of GCMs is a chal-
lenging problem. In numerical weather prediction, a
standard value of performance is given by the corre-
lation between predicted and observed fields from
which the long-termmodel and observed climatology,
respectively, have been subtracted. It is currently
accepted that values larger than 0.6 of such an
‘anomaly correlation’ computed by using the geopo-
tential height field at 500 hPa correspond to ‘useful’
results. For climate simulations, early validations
compared monthly means of simulated and observa-
tional fields,with emphasis on quasi-stationarywaves,

planetary waves, eddy statistics, and monsoonal
circulations. Participating GCMs in a coordinated
effort on verification of GCM performance were
integrated for a minimum of 10 years with the same
boundary conditions corresponding to the period
1979–1988. This coordinated approach has been
extended to coupled atmosphere–ocean models.

Single-column models (SCMs) have been used for
testing selected physical parameterizations. An SCM
consists of an isolated, time-dependent GCM column
forced and constrained with observational estimates of
advective fluxes, whose outputs are compared with
observational data generally provided by field programs.

Future Directions

The history of general circulation modeling has
already entered phase III (see Figure 1). From the
point of view of climate simulations, prescribing SST,
as in most applications during Phase II, assumes the
most important part of the answer and thereforemight
have hidden crucial deficiencies of GCMs. The begin-
ning of phase III was partially stimulated by the
development and applicationof coupled atmospheric–
oceanic GCMs, in which an atmospheric GCM is
coupled with an oceanic GCM to predict SST.

Two general trends characterize phase III.One is the
expansion of internal processes, as in the inclusion of
ocean and land surface models. The other is the use of
higher resolutions as computer technology advances.
While there is no question about their merits, these
trends demand a higher level of modeling effort. First,
negative feedbacks hiding model deficiencies that are
serious even for simulating the present climatology
tend to disappear as prescribed external conditions are
eliminated. Second, the separation between resolvable
processes, which can be highly transient, and param-
eterized unresolvable processes, which can only be
near a statistical equilibrium, becomes more ambigu-
ous as resolution increases. Various processes shown
in Figure 2 interact too strongly to be formulated
separately, especially when clouds are involved. A
key goal of phase III will be a unification of those
formulations and the reduction of the dependence of
model physics on grid size, which is an artificial length
introduced for computational purposes.

See also

Boundary Layers: Neutrally Stratified Boundary Layer.
Climate Prediction (Empirical and Numerical). Con-
vective Cloud Systems: Modelling. El Niño and the
Southern Oscillation: Observation; Theory. General
Circulation: Energy Cycle; Mean Characteristics; Mo-
mentumBudget; Overview.MiddleAtmosphere:Gravity
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Waves.NumericalModels:ChemistryModels;Methods.
Parameterization of Physical Processes: Clouds;
Gravity Wave Fluxes. Quasi-geostrophic Theory.
Weather Prediction: Regional Prediction Models.
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Introduction

Glaciers are rivers of ice, and ice sheets are continental-
scale domes of ice. Both glaciers and ice sheets flow
slowly, transporting snow/ice to lower elevations,
where it melts or is released into the sea as icebergs.
The size and extent of glaciers varies with climate, and
they represent the most slowly responding constituent
of the global climate system. Despite this, glaciers and
ice sheets are capable of surprising and dramatic
effects such as glacier surges, and are thought to have
been an important causative component of the rapid
climate shifts seen in the last ice age.

Glaciers are found in regions of high elevation, such
as in the Alps or the Himalayas, and in polar regions,
such as Alaska or Svalbard (Figure 1). Typical depths
are on the order of hundreds of meters, and typical
lengths are measured in kilometers: the Bering Glacier
in Alaska is one of the longest, at 200 km. Glaciers
form when snow accumulates to great depth, and is
transformed through the effects of pressure to form
ice, which then creeps slowly down slope, at rates
which are typically measured in tens to hundreds of
meters per year. The fastest moving glacier on Earth is
the outlet glacier Jakobshavn in Greenland, which
moves steadily at a brisk 8 kmy� 1.

Analogous to rivers, glaciers act both as an agent of
water transport and as an agent of erosion. Glaciers,
along with landslides, are the primary agents of
erosion in high mountain ranges, and they are also
instrumental in forming various landscape features
such as U-shaped valleys, terminal moraines, drum-
lins, and eskers. Glacial climate is also associated with
the formation of permafrost-related features, for
example fossil ice-wedge polygons. The former pres-
ence of glaciers and ice sheets in North America and
NorthernEurope during a sequence of ice ages (the last

of which terminated some 10 000 years ago) is
demonstrated by the presence of these and other
such signatures as erratics (isolated boulders trans-
ported by the ice), and glacial striae and scratches in
bedrock, which can even be found in Central Park in
New York.

In sufficiently cold conditions, a network of glaciers
will coalesce and grow to form an ice cap, or at the
largest scale, an ice sheet. There are two present-day
ice sheets on the Earth, Greenland and Antarctica;
whose dimensions are measured in thousands of
kilometers horizontally and thousands of meters
depth. During the ice ages, however, other ice sheets
grew to cover much of North America, Scandinavia
and Britain, and their former presence is betrayed by
such relict features as moraines (e.g., Cape Cod),
drumlin fields (e.g., across the north of Ireland), and
glacially excavated fjords and lochs.

Most glacial ice is found in these large ice sheets; the
remainder exists in glaciers and ice caps which occur
in mountainous regions, largely round the Arctic
Ocean basin in the Northern Hemisphere. Extensive
systems of glaciers exist in theAndes, Alaska,Norway,
the European Alps, and the Himalayas. Glaciers are
also found in warmer regions at sufficently high
altitude, for example, in equatorial parts of Indonesia
and Africa; such glaciers are known as tropical
glaciers.

Glacial extent is thus an indicator of climate (with a
10 to 100 year response time), and the recession of
many glaciers during the twentieth century marked a
noticeable global warming which terminated a centu-
ries-long cold period, known as the Little Ice
Age, which lasted from about AD 1500 to 1900. The
change in climate in Europe over the last hundred
years is evidenced by the shrinking glaciers in the
Alps, andmore poetically by the plentifulness of snow
in Impressionist paintings of the late nineteenth
century.

Glaciers respond to climate in a similar way to
rivers, by the passage of kinematic waves (somewhat
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like flood waves on rivers) down the glacier, with a
characteristic speed of transmission of several times
the surface speed. Ice sheets also respond to climatic
change, but on amuch longer time scale, of the order of
tens of millennia. It seems likely that the time scale of
the regular occurrence of ice ages over the last several
million years, is associated with this response time of
the large ice sheets and their effect on climate through
the effect of ice–albedo feedback.

Glaciers exhibit a variety of otherwavelikemotions,
which appear to be internally generated and unrelated
to climate. Wave ogives and ‘Schnellungswellen’, or
waves of velocity, are seasonal effects. More dramatic
is the glacier surge (Figure 2), a rapid advance of a
glacier that occurs for a short time and is repeated at
regular intervals. A well-documented example of a
surging glacier is the Variegated Glacier in Alaska,
which surges rapidly for one to two years, repeating

Figure1 Avertical viewofBakaninbreenGlacier inSvalbard, 1990.Flow is frombottomright towards the top left. Thedark lines in the ice

are medial moraines. Bakaninbreen is a surging glacier, and the advancing surge front is clearly visible in the center of the picture (Photo

courtesy Tavi Murray.)

Figure 2 A closer view of the surging BakaninbreenGlacier, 1987. The ice attains depths of 300m, and is 1–2 kmwide. The ridge in the

picture is the surge front, a wall of ice some 50m high, propagating down glacier at about a kilometer per year. (Photo courtesy Tavi

Murray.)
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this behaviour at intervals of about 20 years. Velocities
during surges can increase by a factor of a hundred,
and advances of 10 km ormore in less than a year have
been recorded.

Modern-day ice sheets do not appear to exhibit such
collective surge-type behavior, but they do exhibit a
spatial equivalent to the temporal periodicity of
surging valley glaciers, in the existence of concentrated
‘ice streams’ (Figure 3). Awell-known example occurs
on the Siple Coast in Antarctica, where the ice which
drains into the floating Ross ice shelf is segregated into
five separate ice streams, four of which move much
more rapidly than the bounding, relatively quiescent
ice. The Whillans ice stream, for example, moves at
speeds of 500my� 1, as opposed to neighboring ice
speeds of less than 10my�1. The ice streams are
recognizable from the air by their intensely crevassed
surface, a feature they share with surging glaciers
during the active surge phase. In the Siple Coast, they
have typical widths of 40km, and lengths of several
hundreds of kilometers. There is also evidence of ice
streams in former Northern Hemisphere ice sheets, for
example the Laurentide ice sheet in North Americawas
drained by a number of ice streams, amongst them one,
some 200kmwide, which flowed out into the Labrador
Sea down the Hudson Strait.

Physics of Glaciers

Ice is a crystalline solid, and behaves over short time
scales as an elastic medium when subjected to differ-
ential stresses. In particular, ice fractures in
tension, and these fractures are manifested on glaciers

as the crevasses which are commonly seen at the
glacier surface. Over a longer time scale, however, ice
will deform like a viscous fluid due to the stress-
induced migration of dislocations within the crystal-
line lattice structure. Such dislocation creep can be
measured experimentally, and the effective viscosity is
found to depend nonlinearly both on the applied stress
and the temperature: higher stresses and temperature
both act to make the ice less ‘sticky’. At a typical
glacier stress of one bar (0.1MPa) and a temperature
near the melting point (273K), the viscosity is about
1013 Pa s, or about 4 bar year. The shear modulus for
elastic deformation of ice is about 3.5 � 109 Pa, and
the ratio of these, some 3000 s, or 50min, defines the
Maxwell time which separates short term elastic
behavior from long term viscous behavior. For time
scales greater than a few hours, ice behaves viscously,
at least at high temperatures. For colder ice at lower
stress, theMaxwell timemay be of the order ofmonths
or longer.

Mathematical models of the flow of glaciers and ice
sheets take advantage of the fact that they have a high
aspect ratio, like the atmosphere, so that approxima-
tely a formof lubrication, or thin film is appropriate. In
the simplest version of such models, which assume a
temperature and moisture-independent flow law, one
derives a convective diffusion equation for the glacier
depth, or a nonlinear diffusion equation for the ice
sheet depth. Unfortunately, such models are unrealis-
tic because of the strong effect of temperature on the
flow law (for glaciers at sub-freezing temperature), or
because of the effect of moisture on the flow law (for
temperate glaciers, at the melting point).

Figure 3 Aerial view of the Stancomb Wills ice stream flowing into the Brunt ice shelf, Antarctica. The highly crevassed nature of the

surface is typical of a fast-flowing ice stream. (Photo courtesy British Antarctic Survey.)
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Ice is an insulator, and because of this and the
warming effects of geothermally derived heat, as well
as heat generated by stress working in the ice, the
temperature, aswell as the stress, increaseswith depth,
particularly near the base where the effects of advect-
ion are generally smaller. At a temperature of �201C,
the viscosity is 40 times greater than at the melting
point, and at � 501C, as is appropriate to parts of the
the Antarctic ice sheet surface, it is 2000 times greater.
A reduction of stress by a factor of 10 near the surface
would cause a further increase by a factor of 100. Thus
ice has a strongly variable viscosity, and its motion is
more akin to that of a fairly rigid layer being carried
alongon topof a softer shearing underbelly. Because of
this, one needs to solve the energy equation for the
temperature also.

A novelty in ice physics is that the frictional heating
due to viscous dissipation is important. Because the
heating depends nonlinearly on temperature, the
temperature and flow equations are coupled via a
positive feedback (faster flowmeans more heat, hence
higher temperatures, hence reduced viscosity, hence
higher velocity), and the possibility arises of thermal
runawayoccurring (the same phenomenon is the cause
of explosions, and also of the combustion that occurs
in lighting amatch). It has been suggested that such an
instability lies at the root of surging glacier behavior,
and also of ice streaming, but it is unlikely that this can
be the whole story.

The reason for this is that the rise in temperature
near the base of a glacier has another important effect.
If the temperature reaches themelting point (and this is
often the case), then basal melting starts to occur, and
water will exist at the glacier bed. In this situation
basal ice motion, or sliding, occurs, and this is thought
to be the cause ofmuch of the fast flow exhibited by ice
streams and surging glaciers. The basal water forms its
own subglacial drainage system, and flows towards
the glacier outlet. It is a common experience to see one
or more outlet streams emerging from the front of a
glacier, often from a large portal. In addition, surface
rainwater or meltwater often finds its way to the bed
via crevasses or moulins. It is common to see streams
on a glacier surface which suddenly disappear down a
hole, presumably to connect to the basalwater system.

Thermal Classification

The presence and amount of water in a glacier is
associated with a thermal classification of glaciers.
The basic types suggested by Ahlmann in 1935 are the
polar and temperate glaciers. As its name suggests, the
polar glacier is one which is below the melting
temperature throughout, and occurs (if at all) in polar

regions. At the other extreme, a temperate glacier is at
the melting point throughout, and contains a small
amount of liquid water in inclusions. Most glaciers in
the Alps are temperate, and contain typically 2% by
volume of water.

Themechanism bywhich a glacier can be temperate
is ascribed to the seasonal variation in temperature. In
temperate climates, snowfall on a glacier during
winter is melted in the summer, and the resulting
meltwater percolates through the porous upper snow
(or firn, i.e., wet snow) where it refreezes, and the
resulting release of latent heat enables the temperature
to be maintained at the melting point. Various further
classifications can be made in order to allow for the
common situation where a glacier in a polar environ-
ment has a surficial cold layer, but the basal ice is
warmed by geothermal heat to the melting point
(Figure 4); sometimes a basal temperate layer
may form, where the ice is internally heated to melt-
ing point and may contain water inclusions. Glaciers
of this and similar type are often called ‘sub-
polar’; another common term in current usage is
‘polythermal’.

Basal Sliding

The effect of basal water on the motion of ice is that it
allows basal slip, or basal sliding, to occur. The
mechanismwhereby this is thought to occur is a subtle
one. When the basal ice is at the melting point, a thin
(micrometer thick) water layer exists between the ice
and the underlying bedrock, due to regelation: the ice
approaching the upstream (stoss) face of a protruding
bump is at higher pressure, and thusmelts, because the
melting temperature decreases slightly with increasing
pressure (the Clapeyron effect); this meltwater forms
the thin film,which then squirts round the bumpunder
the driving pressure gradient, to refreeze downstream
where the pressure is lower. The latent heat necessary
is provided by conductive heat transfer through the
rock.

Regelation itself allows amechanism for flow of ice,
but also the film lubricates the ice–bed interface, so
that the ice can simply flow viscously over the bumpy
bed. The bed does offer a resistance because of its
roughness, and the resulting basal shear stress is
related to the sliding velocity by the sliding law.
Various theories have been proposed for this ‘law’; in
general, as one would expect, the stress increases with
the velocity. Sliding at the bed has been observed, and
indeed it is the dominant cause of motion in some
glaciers.

Another observed feature of the process of sliding is
the formation of cavities. As with ordinary hydraulic
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cavities, these will form if the water film pressure
becomes less than the local subglacial drainage pres-
sure (which is determined independently). Cavities
will occur if the sliding velocity is high enough, and
they reduce the resistance of the bed; thus the sliding
law should also depend on the degree of cavitation,
and this will depend on the local drainage pressure. In
this way the flow of the ice becomes coupled through
the basal sliding law to the subglacial hydraulic
system.

Although the discussion above refers to a clean
interface between ice and bedrock, it is usually the case
that a certain amount of erosional debris is situated at
the bed, often consisting of a mixture of coarse,
angular rock fragments within a finer grained matrix
of sandy or clayey material. The resultant material is
called till, and when water saturated, it will deform. A
different kind of basal motion can then occur, wherein
ice slides over underlying bedrock via the lubricating
effect of the deforming till. This also will lead to an
effective sliding law, in which basal shear stress
depends on basal velocity and, again on basal water
pressure, since the flow resistance of till also
depends on this. Meters thick layers of till underlie
many glaciers, aswell as the SipleCoast ice streams, and
it is thought that it is largely the motion of ice over such
till layers at high water pressure which causes the fast
flow seen in ice streams, and in some surging glaciers.

Subglacial Hydrology

In many cases, basal water storage has a profound
effect on the dynamics of glaciers and ice sheets, and it
is important to understand and quantify the way in
which subglacial drainage systems work. There are

several different topologies that have been suggested.
The principal one is embodied in the concept of the
Röthlisberger channel, which is a cylindrical drainage
channel at the bed, cut upwards into the ice. Thewater
flows through the channel at a lower pressure than the
overburden ice pressure (the difference between the
two is called the effective pressure), and consequently
the channel (like a void in a fluid) tends to close
because of inward creep of the ice. It is maintained
open because the water flow through the channel
generates sufficient frictional heat to melt the channel
walls back. A theory to describe this dynamic interac-
tion leads to a prediction for the effective pressure as a
weakly increasing function of the water flux through
the channel, and observed borehole water pressures of
tens of bars below flotation levels can easily be
explained in this way. The fact that effective pressure
increases with water flux implies some kind of arterial
drainage system, since a larger channel with larger
flow rate has a lower pressure than a smaller channel,
and hence will suck water from it; thus it is unlikely
that Röthlisberger channels are uniformly distributed
across the bed.

On the other hand, there is evidence from borehole
discharge events that in some circumstances (and
particularly during a glacier surge) the drainage
system may indeed become distributed in some kind
of anastomosing pattern. One such system occurs if
the channel system closes down, and the water
migrates to the cavities. This forms a ‘linked-cavity’
system, and was inferred to occur during the 1982–83
surge of Variegated Glacier. Another type of distrib-
uted system that has been suggested is a system of
anastomosing ‘canals’, or a system of connected
‘puddles’. Such distributed systems can support

Figure 4 Trapridge Glacier, a surge-type sub-polar glacier in the Yukon Territory, Canada. The glacier is 4 km long and the advancing

front is about 70m high. (Photo courtesy Garry Clarke.)
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much higher water pressure than a Rothlisberger
system, and are consistent in this respectwith borehole
measurements of water pressures near flotation under
ice streams.

Mass and Energy Balance

Glaciers interact with the atmosphere and the oceans
through processes of mass and energy exchange.
Precipitation occurs as snow in winter and accumu-
lates (in the accumulation zone, upstream). Above a
certain elevation (the firn line, or equilibrium line), this
snow will remain from year to year, and successive
snowfalls lead to an increasing thickening and thus
compaction of the snow under its own weight, as the
air is expelled. In addition, summer melting (where it
occurs) allows percolation of meltwater downwards,
where it refreezes, and both processes lead to the
formation of ice, when only isolated air pockets
remain. As the ice flows downhill, it descends past
the firn line to the ablation zone, where net summer
melting outweighs any net snow accumulation, and
consequently wastage of the glacier occurs. The
resulting melt runs off the glacier, through surface
streams or via the basal drainage system, or is
evaporated at the surface. Depending on climatic
conditions, a glacier may flow all the way to the sea,
when it is known as a tidewater glacier. Such glaciers
losemass also by the calving of icebergs (Figure 5). The
net gain of ice (measured as water equivalent) over a
year is known as the mass balance.

Energy interchange at the glacier surface determines
surface temperature (as well as surface melting) in the
same way as elsewhere on the Earth’s surface, via the
balance of incoming short-wave and long-wave radi-

ation with outgoing heat loss by long-wave emission,
and sensible and latent heat fluxes. Essentially, the ice
will take the mean annual air temperature, at least at
depths greater than about 10m where the surface
thermal wave does not penetrate.While this statement
would be exact if heat conduction were the only
transfer mechanism, it fails when the air tem-
perature becomes greater than the melting point.
This is because the ice temperature cannot then
follow the air temperature, and the resulting
melting and refreezing of melt water at depth causes
amuchmore rapid elimination of thewinter coldwave
than conduction alone would provide. For these
reasons, ice temperature at the glacier surface is
only approximately equal to the local mean air
temperature.

Furthermore, surface ablation, while also related to
surface air temperature, is not a simple function of it,
and is certainly not dependent on mean annual air
temperature. It is more directly connected to the mean
annual value of the ‘positive air temperature’, i.e., the
air temperature taken onlywhen it is above themelting
point. For a glacier or ice sheet, an equilibrium is
obtained when net accumulation balances net abla-
tion, thus glaciers act as a climatic indicator of winter
precipitation and summer insolation. The latter ex-
plains why the summer insolation curves are used in
Milankovitch’s ice age theory.

Climatology

Glaciers (and ice sheets) monitor climate variations,
but climate also responds to changes in glaciation. A
simple example is that of the thermally induced
katabatic wind. Obviously, the growth of large ice

Figure 5 Aerial view of icebergs forming at the edge of the ice shelf near Halley, Antarctica. (Photo courtesy British Antarctic Survey.)
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sheets can potentially exert a thermal and topographic
effect on the general circulation, and thus affect
precipitation patterns through the diversion of storm
tracks. The other, and more fundamental, effect is
through the alteration of land surface albedo. Ice and,
particularly, fresh snow have a high reflectivity, so that
net received surface energy decreases with increasing
ice cover. This leads to a positive feedback, called the
ice–albedo feedback, which can be used to explain the
occurrence of ice ages in simple (‘zero-dimensional’)
models of the climate. In its most basic form, such a
model allows two possible stable, steady states; an ice-
free Earth (low reflectivity, high received insolation,
high global surface temperature), and an ice-covered
Earth (high reflectivity, low received insolation, low
global surface temperature). Variations of solar ins-
olation due to Milankovitch orbital variations then
allowa shuttlingbackwards and forwards between the
two. Although an ice-covered Earth is not attained in
the current sequence of ice ages, there is evidence that
such a state was reached during a glacial epoch some
600 million years ago; this is the so-called ‘snowball
Earth’ theory.

Ice sheets are also fundamentally involved in shorter
(millennial) time scale climatic switches. Oxygen
isotope records from deep ice cores in the Greenland
ice sheet show repeated switching during the last ice
age between cold and relatively warm conditions.
These oscillations, with an amplitude of at least 51C,
are known as Dansgaard–Oeschger events, and they
take the formof gradual (millennial) cooling, followed
by abrupt (decadal) warming. It has been suggested
that these temperature cycles reflect alterations in the
oceanic circulation, which is often thought of as a kind
of conveyor belt, with downwelling occurring in the
North Atlantic, and upwelling in the Indian and
Pacific oceans, and around Antarctica. If the conveyor
is switched off, then climate becomes cooler, and if it is
abruptly switched on again, climate can become
abruptly warmer.

Dansgaard–Oeschger events are bunched into long-
er time scale cooling cycles lasting about 10 000 years,
and these are terminated byHeinrich events,which are
followed by dramatic climatic warming. Heinrich
events refer to the occurrence in North Atlantic
oceanic sediments of layers of ice-rafted debris
(IRD), and are thought to be due to a massive
discharge of icebergs from the Laurentide ice sheet,
and particularly from the ice stream in Hudson
Strait, which drained the Hudson Bay ice dome (since
the lithic fragments of the IRD largely come from
there).

In some way, it would seem that the massive
discharge of ice into the North Atlantic can switch
on the global oceanic thermohaline circulation, and
lead to sudden dramatic warming of the atmosphere.
The way in which such occasional massive discharges
can occur is through periodic surges of the Laurentide
Ice Sheet through the Hudson Strait ice stream, and
the existence of surging glaciers and ice streams
shows that such behavior is possible. Alternatively
(or as well), tidewater glaciers are known to undergo
similar cycles of slow advance and rapid (via iceberg
calving) retreat, and these might be associated with
the Dansgaard–Oeschger events. In any event, we
see that the dynamics of glaciers and ice sheets are
likely to have been fundamental in the past in driving
the ice age climate, at all time scales from the
Milankovitch tuned 100 000-year ice age cycle,
through the 10 000-year Heinrich events and millen-
nial Dansgaard–Oeschger events, to the sudden dec-
adal warmings that terminate them; we are only
beginning to recognize and understand such behavior.
The implication for the study and prognosis of our
present climate is clear.

See also

Climate Variability: North Atlantic and Arctic Oscillation.
Energy Balance Model, Surface. Hydrology: Ground
and Surface Water; Modeling and Prediction; Overview.
Ice Ages (Milankovitch Theory). Katabatic Winds.
Permafrost. Sea Ice.
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Introduction

The terrestrial biosphere interacts with the atmos-
phere through exchanges of trace gases and of energy.
These interactions are bidirectional, with atmospheric
conditions modifying ecological controls of trace gas
and energy exchange, and the very exchanges feeding
back to affect atmospheric chemistry and climate
(Figure 1). Here, we review the role of biosphere–
atmosphere material and energy exchange in atmos-
pheric processes, the biological processes involved,
and how biotic responses to ongoing and future global
changes could influence the future chemical and
radiative balance of the atmosphere. Global environ-
mental change is already altering biological produc-
tion and consumption of trace gases and energy
partitioning between the biosphere and the atmos-
phere. However, the magnitude and direction of these
effects are not well constrained, and this uncertainty
contributes to the difficulty in predicting future global
climate. Global changes likely to substantially alter
biosphere–atmosphere trace gas and energy exchange
include climate change, rising atmospheric carbon
dioxide, acid rain and associated nitrogen deposition,
increased UV-B radiation due to stratospheric ozone
depletion, species invasions, losses of biodiversity, and
land-use and land-cover change (Figure 1).

Trace gases in the atmosphere are arbitrarily defined
as gas species with concentrations equal to or less than
that of carbon dioxide (367 ppmv as of this writing).
Through biogeochemical transformations in terrestri-
al ecosystems, plants and soilmicroorganismsproduce

and consume many trace gases, often at rates high
enough to affect atmospheric concentrations. Climate
is a key determinant of biogeochemical transforma-
tions, and thereby directly affects rates of trace gas
exchange. Because species differ in their physiological
capacities to produce and consume trace gases, the
suite of organisms comprising a biological community
and the number of organisms present in an ecosystem
both strongly influence biogeochemical cycling and
associated trace gas fluxes. In turn, biogeochemical
transformations include processes that regulate nutri-
ent availability to plants, thereby influencing species
composition and ecosystem structure. Energy ex-
changes between ecosystems and the atmosphere
include fluxes of sensible heat and latent heat (i.e.,
evaporation of water), exchanges that are directly
mediated by the biophysical properties of ecosystems.
Like biogeochemical transformations, biophysically
mediated energy exchange is sensitive to climate and
to the physiological properties of organisms, mostly
plants. Thus, changes in climate and in the structure of
terrestrial ecosystems alter patterns of biosphere–
atmosphere energy exchange.

Trace Gases

Carbon Dioxide

The concentration of carbon dioxide (CO2) in the
atmosphere is increasing by 0.5% per year (1980–
2000), a rate unprecedented for the last 160 000 years.
A greenhouse gas, CO2 is estimated to be responsible
for 60% of current global warming and that predicted
to occur over the next several hundred years.While the
current increase in CO2 concentrations is clearly
driven by human activities (fossil fuel burning, defor-
estation, and cement manufacture), two biological
processes strongly influence the concentration of CO2

in the atmosphere. Photosynthesis by plants and algae
converts atmospheric CO2 to organic carbon, and this
process is the primary entry point of carbon into the
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biosphere. Respiration by plants, animals, and micro-
organisms oxidizes organic carbon, returning it to the
atmosphere as CO2. Rates of CO2 exchange between
the terrestrial biosphere and the atmosphere amount
to roughly 120GtC y� 1, compared to only 7.5Gt y�1

added through the combined anthropogenic effects of
fossil fuel burning, land-use change, and cement
manufacture. Thus, predicting the future trajectory
of atmospheric CO2 concentrations requires an un-
derstanding of how global changes might alter the
balance betweenCO2 release to the atmosphere versus
CO2 uptake and storage in ecosystems.

Spatial and seasonal changes in atmospheric CO2

concentration reflect thebalanceof photosynthesis and
respiration in the terrestrial biosphere. For example,
photosynthesis is a larger flux than respiration
during the growing season, and this imbalance is

reflected in lower atmospheric concentrations of CO2

during the spring and summer. This pattern is most
pronounced above the temperate zone in theNorthern
Hemisphere (Figure 2), less so in the Southern Hemi-
sphere where land masses are smaller, and essentially
absent in tropical regions, where the activities of
photosynthesis and respiration tend to be synchronous
throughout the year.Oceanic exchanges ofCO2,while
large, do not show strong seasonality. These seasonal
oscillations in atmospheric CO2 concentration reflect
the metabolism of the terrestrial biosphere and
underscore the importance of biological control over
atmospheric CO2 concentrations.

Global change can alter these biological controls,
affecting fluxes of photosynthesis and respiration and
thus the net exchange of carbon between the biosphere
and atmosphere. Several lines of evidence suggest that
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Figure1 Interactions between the terrestrial biosphere and atmospheric composition and climate (plain type, thin arrows), and impacts

of global environmental changeon the coupledbiosphere–atmosphere system (bold italics, thick arrows). (Modified fromSellersPJet al.

(1991) Charting the Boreal Forest’s Role in Global Change, EOS, Transactions, American Geophysical Union, Vol. 72, No. 4, 33–40.)

Climate influences biophysical and biogeochemical processes, creating feedback effects to both atmospheric composition and climate

through fluxes of heat, water, and trace gases. Global changes such as N deposition, acid rain, enhancedUV-B radiation, and rising CO2

directly affect ecosystembiogeochemistry, feeding back to the atmosphere through altered trace gas fluxes, altering ecosystemstructure

by favoringsomespeciesoverothers, andaffectingbiophysicallymediatedexchangesof energybyalteringphysiological processes (e.g.,

stomatal conductance). Other global changes affect ecosystem structure directly, with, for example, invading species introducing new

biological entities with unique contributions to biogeochemical and biophysical properties.
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such changes are already under way. The amplitude of
the seasonal oscillations in atmospheric CO2 has
increased over the past 40 years, particularly above the
Northern Hemisphere, indicating greater activity of
the terrestrial biosphere in this region. Inverse model-
ing of atmospheric CO2 concentration and 13C com-
position and a number of land-basedmeasurements of
biosphere–atmosphere CO2 exchange suggest a net
sink for atmospheric CO2 in the Northern Hemi-
sphere. While deforestation in the tropics currently
amounts to a substantial source of CO2 to the
atmosphere, on the order of 1.7GtC y�1, this is at
least partly offset by afforestation of abandoned
agricultural lands in the Northern Hemisphere and
net uptake of CO2 by tropical forests. Experimental
additions of eitherCO2or nitrogen (N) often stimulate
ecosystem carbon uptake, at least in the short term,
suggesting that globally pervasive N deposition and
increasing atmospheric CO2 may already be contrib-
uting to the current terrestrial CO2 sink. Currently,
terrestrial photosynthesis is estimated to be
1.9GtCy� 1 greater than respiration. However, it is
unclear whether this terrestrial sink will persist. For
example, because photosynthesis is less sensitive to
increasing temperature than is respiration and micro-
bial decomposition of plant residues, future stores of
organic carbon in soils could decline by up to 11GtC
globally for every 11Cofwarming. Particularly at high
latitudes, the combination of warming and drying
could stimulate CO2 release from tundra and peat
bogs, ecosystems that contain most of the world’s soil
carbon. Furthermore, while experimental CO2 and N

fertilization increase ecosystem CO2 uptake in the
short term, photosynthesis shows a saturating re-
sponse to risingCO2, and excessiveNdeposition often
decreases soil fertility and plant production. Because
of the slow turnover time of soil organic carbon,
increased carbon uptake observed in experiments
tends to overestimate the long-term potential for
ecosystem carbon storage.

Methane

Methane (CH4) is also a greenhouse gas, contributing
roughly 15% to the radiative forcing associated with
global warming. As with CO2, two biological pro-
cesses are important in the production and consump-
tion of atmospheric CH4: methanogenesis and
methanotrophy. Methanogenesis is the largest source
of CH4 to the atmosphere and is conducted by strictly
anaerobic microorganisms of the Domain Archaea,
evolutionarily some of the oldest organisms on Earth.
Methanogens thrive in many habitats where oxygen
concentrations are low, in wetlands, sediments in
aquatic ecosystems, and in the guts of termites and
ruminant mammals. With intensification and extens-
ification of livestock farming and rice cultivation,
humans have increased methanogenic activity and
associated CH4 emissions to the atmosphere. Fossil
fuel mining and biomass burning are additional
important anthropogenic sources of CH4 to the
atmosphere. While natural sources add around
160TgCH4 y

� 1 to the atmosphere, anthropogenic
sources are larger, totaling nearly 375TgCH4 y

�1.
Most CH4 is destroyed in the atmosphere through
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interactions with OH radicals or is lost to outer space.
However, methanotrophs – literally ‘methane eaters’ –
are an additional important global CH4 sink,
consuming as much CH4 as accumulates in the
atmosphere each year (40Tg) and constituting
approximately 10%of the global CH4 sink.Methano-
trophs are bacteria that oxidize CH4 to generate
energy and fix CO2 into organic compounds, using
CH4 in a manner analogous to a plant’s use of
light in photosynthesis. Methanotrophs are wide-
spread in nature, but are quantitatively important
in the global CH4 cycle in the surface soils of terrestrial
ecosystems. Many temperate forests, for example,
are net CH4 sinks, consuming CH4 from the
atmosphere.

Global change has the potential to increase or
reduce CH4 production in soils. For example, in-
creased plant production in wetlands enhances sub-
strate availability for anaerobic decomposition, there-
by stimulating CH4 production. Generally, CH4 pro-
duction in wetlands increases with plant productivity.
Thus, global changes that increase plant production,
such as elevated CO2, are likely to stimulate CH4

efflux from wetlands. Elevated CO2 often reduces
transpiration (water loss) fromwetland plants, raising
the water table in wetlands and enhancing anaerobic
conditions, again potentially stimulating CH4 efflux.
In the Arctic, thawing of permafrost could increase
CH4 emissions by increasing methanogenic activity in
previously frozen soils. By contrast, if warming causes
widespread drying of wetlands and tundra, anaerobic
activity could decline and rates of methane oxidation
increase. Experimental evidence in support of both
scenarios contributes to the difficulty in predicting
biospheric feedbacks to climate change. Widespread
disappearance of wetlands could diminish the terres-
trial CH4 source.

Global changes are likely to reduce methane con-
sumption by soils, diminishing the capacity of terres-
trial ecosystems to consume atmospheric CH4. By
increasing soil water content (through reduced tran-
spiration) and thereby reducing CH4 diffusion into
soil, elevated CO2 has been shown to reduce rates of
CH4 oxidation by a forest soil. In another case, CH4

consumption rates declined in CO2-treated forest
plots even without a change in soil water content or
any other obvious mechanism, raising the possibility
of reduced efficiency in CH4 oxidation due to changes
in the methanotrophic bacteria community. Reduced
CH4 oxidation has also been observed in grasslands
exposed to elevated CO2. Thus, reduced CH4 uptake
may be a general consequence of rising atmospheric
CO2. Land use change, too, is likely to reduce the
terrestrial CH4 sink: converting forests, woodlands,
and savannahs to cultivated or grazed lands reduces

CH4 uptake, sometimes even causing a shift from net
methanotrophy to net methanogenesis. Continued
extensification of agriculture and livestock husbandry
is likely to further reduce the soil CH4 sink. Acid
deposition also decreases CH4 oxidation, owing to
physiological responses of methanotrophs to low soil
pH, and also, in the case of nitrogen deposition, to
inhibitory effects caused by increased NHþ

4 availabil-
ity in soil. Ammonium-oxidizing bacteria (nitrifiers,
see below) have the capacity to oxidize methane
because of structural similarities in the ammonia- and
methane-binding enzymes. For this reason, it is not
always apparent which groups of organisms are
responsible for methane oxidation in soils. Compared
to methanotrophs, however, nitrifiers have a lower
affinity for CH4 and therefore oxidize CH4 more
slowly, so displacement of methanotrophs by nitrifiers
in response to N depositionmay exacerbate inhibition
of CH4 oxidation by ammonium. The inhibitory
effects ofNHþ

4 onmethane oxidationmay also explain
the reduced capacity forCH4oxidation following land
use change, as NHþ

4 availability often increases after
land clearing or because of direct application of
nitrogenous fertilizers.

Oxides of Nitrogen

Nitrous oxide (N2O) is a potent greenhouse gas, with
300 times the warming potential of CO2 on a molar
basis. N2O concentration in the atmosphere is in-
creasing at a rate of 0.3%per year, and it is responsible
for around 5%of the radiative forcing associatedwith
global warming. N2O also plays a critical role in
stratospheric ozone depletion. Nitric oxide (NO) and
nitrogen dioxide (NO2), together referred to as NOx,
are important reactive gases, influencing tropospheric
concentrations of O3, OH, HNO3, and CH4. While
their effects on atmospheric processes differ funda-
mentally, N2O and NOx are produced and consumed
by the same groups of organisms, and so these gases
are treated together here.

Nitrification and denitrification are the two major
biological sources of N2O and NOx. Nitrifying
bacteria use ammonia (NH3) as an energy source,
oxidizing it to nitrate ðNO�

3 Þ. Like methanotrophs,
which oxidizeCH4, nitrifiers use their substrate (NH3)
to fix carbon in a manner analogous to a plant’s use of
light in photosynthesis. Incomplete oxidation of NH3

results in gaseous losses of nitrogen dioxide (NO2),
nitric oxide (NO), and N2O; losses of these oxides of
nitrogen to the atmosphere can account for asmuch as
5%of the total nitrification flux. Denitrifying bacteria
‘breathe’ NO�

3 , using it as a terminal electron acceptor
just as animals (and other aerobic organisms) use O2.
In the process, denitrifiers reduceNO�

3 toN2 gas, with
several intermediates, including NO2, NO, and N2O.

GLOBAL CHANGE / Biospheric Impacts and Feedbacks 879



The final step in the denitrification chain is reduction
of N2O to N2, a step that is often incomplete, as
gaseousN2O escapes from the reaction site. NOx, too,
can be emitted during the earlier steps. Denitrification
can also consume both N2O and NOx, and other
reports suggest that NOx consumption by other (non-
denitrifying) soil microorganisms may serve a detoxi-
fying function ormay have no clear physiological role.
However, it is not yet clear whether net N2O or NOx

consumption by soils has any major influence on the
global budget of these trace gases. Plants also play a
role in atmosphericNOx: both uptake and emission of
NO2 by plant leaves are known to occur, but the
balance of these processes at the global scale is not
known.

Gaseous losses ofNOx andN2Oduring nitrification
and denitrification represent small proportions of the
total flux of nitrogen through these pathways. Never-
theless, the quantities produced are appreciable for the
global fluxes of these important trace gases. Globally,
soils amount to 65% of total atmospheric sources of
N2O and 40% of NOx. Tropical (N2O), wetland
(N2O), arid (NOx), and cultivated soils (both) are the
major contributors of these important trace gases.
Rates of N2O production by soils are likely to increase
with climate warming, because, like most biological
reactions, N2O production is temperature-sensitive
and has been found to increase in response to
experimental warming in a number of cases. A
lowering of the water table in tundra and peatlands
associated with warming increases N2O emissions,
probably because the slightly more oxidizing condi-
tions favor incomplete reduction of NO�

3 during
denitrification, increasing the amount of N2O lost in
the reaction chain. Conversion of tropical forests to
pasture, one of the more prevalent land use changes in
the tropics, usually decreases N2O losses from soils.
However, pasture reclamation, which often involves
application of fertilizer, can causeN2Ofluxes to return
to or even exceed levels typical of native forests.
Additionally, conversion of native ecosystems to
agriculture often dramatically increases N2O losses
from soils. Thus, ongoing global changes are likely
to increase rates of N2O accumulation in the
atmosphere.

Emissions of NOx to the atmosphere are also
increasing, particularly from cultivated (and ferti-
lized) soils. As with N2O, land clearing, cultivation,
and fertilization in agriculture increase soil emissions
of NOx, and global increases in these land use changes
are increasing the soil source of NOx. Rising atmos-
pheric CO2 has been shown to reduce NOx fluxes
associated with nitrification by increasing the demand
for NH3 by nonnitrifying microorganisms, reducing
substrate availability for nitrifiers. By contrast, warm-

ing and N deposition are both likely to increase NOx

fluxes from terrestrial ecosystems.

Other Trace Gases

Carbon monoxide (CO) affects atmospheric chemis-
try by contributing to tropospheric ozone formation
and interfering with methane destruction in the
stratosphere. Up to 3% of net primary productivity
can be lost as direct CO emission by plants or as losses
of volatile organic hydrocarbons (VOCs) subsequent-
ly oxidized to CO. Soils are both an important source
and sink of atmospheric CO. A number of bacteria are
capable of oxidizing CO to CO2, including some
methanotrophs (also important in CH4 uptake) and
nitrifiers (important in N2O and NOx production).
Selective inhibition experiments indicate that even
eukaryotes may contribute to CO consumption in
some forest soils. CO oxidation is sensitive to water
and organicmatter content of soils, but is less sensitive
to temperature than many other ecological processes.
While most soils are net CO sinks, some, particularly
in arid regions, are net CO producers. The mechanism
for CO production is unknown, but it is apparently
abiotic, as sterilization often converts a soil from a net
CO sink to a source. Compared to other trace gases,
the biology of CO consumption is not very well
understood.

Plants emit a number of VOCs to the atmosphere,
including isoprenoids (isoprene), terpenes, and oxy-
genated compounds, fluxes totaling 1.2 Pg y�1. These
compounds influence carbon monoxide, ozone, and
aerosol formation in the troposphere. About half of
plant VOC emissions to the atmosphere occur as
isoprene. Effects of global change on VOC emissions
have not been characterized as well as for other trace
gases; nevertheless, changes in VOC emissions are
likely to occur. Because plant species naturally differ in
rates of VOC production, land use changes and other
global changes that result in shifts in species compo-
sition are likely to profoundly alter VOC emissions to
the atmosphere. For example, in general, native
tropical forest trees producemore isoprene than either
crops or pasture grasses, such that land clearing for
agriculture or grazing probably reduces VOC emis-
sions. Secondary forests, however, contain many
species with high rates of VOC emissions, and net
emissions from secondary forests may exceed those
from primary forests in some cases. For this reason,
land use change could cause VOC emissions to the
atmosphere to increase or decline. Isoprene and
terpene emissions increase exponentially with temper-
ature, and are thus likely to increase in response to
global warming. Global changes that increase plant
production (CO2, N deposition) are also likely to
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increase VOC production. In concert with emissions
of NOx from combustion and use of fertilizers,
increased VOC emissions could increase concentra-
tions of tropospheric ozone and carbon monoxide.

Carbonyl sulfide (COS) is the most abundant sulfur
species in the atmosphere. COS is primarily produced
abiotically in the oceans; anaerobic production by soil
microorganisms occurs, particularly in salt marshes,
but is a small source globally. In the stratosphere, COS
is oxidized by photolysis to sulfate aerosols, forming
an aerosol layer important in cooling the planet but
also in enhancing depletion of stratospheric ozone
through chemical interactions with nitrogen and
chlorine species. Biological uptake of COS by soils
has beendocumented, but its significance on the global
scale is not well constrained. Lichens are also capable
of COS uptake, probably representing a small but
nontrivial sink. Uptake by terrestrial vegetation is the
major global sink for COS (Table 1). Enzyme inhibi-
tion studies suggest that COS uptake is probably
mediated by carbonic anhydrase, an enzyme that
occurs in plants, lichens, and bacteria. COS enters
higher plants through stomata, and there is some
evidence that reduced stomatal aperture impedes COS
uptake by vegetation. Thus, global changes that
reduce stomatal conductance (e.g., increasing atmos-
pheric CO2) may reduce the terrestrial COS sink,
possibly constituting a negative feedback to global
warming. By contrast, COS uptake in lichens appar-
ently increases with temperature, a possible positive
feedback to global warming.

Water and Energy Exchange

Terrestrial ecosystems interact with the atmosphere
through exchanges of energy, moisture, and momen-
tum at all temporal and spatial scales. These interac-
tions are functions of key land surface parameters that
derive from the structure and physiology of terrestrial
ecosystems. The bidirectional nature of ecosystem–
atmosphere interactions is clearly evident. For exam-
ple, the gas exchange of leaves responds to variation in
light, temperature, vapor pressure, and CO2 partial
pressure and, in turn, affects the vapor pressure,
temperature, and trace gas composition of the atmos-
phere. Over long periods and broad spatial scales,
ecosystem–atmosphere interactions are yet more evi-
dent.Water availability and temperature range are the
major determinants of the structure and function of
terrestrial ecosystems over decades to centuries, and
the paleoecological and paleoclimatological records
indicate that glacial–interglacial cycles involve cou-
pled changes in the distribution of terrestrial ecosys-
tems, surface albedo, biogeochemistry, and climate. It
is understood that the Earth’s climate and ecological
systems have coevolved over geologic time. Current
changes in climate, atmospheric composition, and
land cover arising from human activities will probably
continue to affect and be affected by ecosystem–
atmosphere interactions.

In this section we first explain the biophysical and
physiological basis for water and energy interactions
between terrestrial ecosystems and the atmosphere.

Table 1 Trace gases influencing atmospheric chemistry and climate that are produced and consumed by the terrestrial biosphere.

Shown are the gas species of interest, the organisms responsible for producing and consuming each, a rough estimate of the percentage

of total annual production or consumptionmediatedby the terrestrial biosphere (e.g., of all global processes that consumeCOSeachyear,

plants are estimated to consume � 70%), and a brief description of the role of the gas species in atmospheric chemistry and climate

Gas Producing

organisms

Terrestrial

production (%)

Consuming

organisms

Terrestrial

consumption (%)

Atmospheric

consequences

CO2 All organisms 40 Plants, autotrophic

bacteria

40 Radiative forcing

COS Sulfur-reducing

microorganisms in

salt marshes and soils

21 Plants, soil

microorganisms

72 Aerosol

Non-methane VOCs Plants 80 Soil microorganisms Negligible Reacts with

oxidized

pollutants

CH4 Methanogens 70 Methanotrophs

(nitrifiers)

10 Radiative forcing

N2O Denitrifiers, nitrifiers 65 Denitrifiers Unknown Radiative forcing

NO and NO2 Denitrifiers, nitrifiers,

plants

40 Denitrifiers, plants Unknown Photochemical

smog

CO Plants 5 Soil microorganisms,

plants

15 O3 formation

(troposphere);

CH4

destruction

(stratosphere)
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We then examine some of the major ways in which
global change affects ecosystem–atmosphere interac-
tions.Muchof our current understanding derives from
atmospheric general circulation models (AGCMs),
which have developed rapidly in recent years to
include realistic parametrizations of the land surface,
including the physiological responses of vegetation to
multiple environmental factors. Although much un-
certainty exists in the magnitude, and in some cases
direction, of ecosystem–atmosphere interactions,
modeling and large-scale experimental studies clearly
indicate that the potential feedbacks are large.

The Biophysics and Physiology of
Ecosystem–Atmosphere Interactions

The presence of vegetation affects a number of key
land surface characteristics that are important deter-
minants of the surface energy balance and water and
energy exchanges with the atmosphere.

Albedo Vegetation affects the reflectivity, or albedo,
of the Earth’s surface, the land surface parameter
having the largest influence on the surface radiation
budget. Albedo is the integrated reflectance over the
solar spectrum (0.0–4.0 mm) and is lower for vegeta-
tion than for bare soil (Table 2) because leaves absorb
strongly in the visible wavelengths (0.4–0.7 mm) useful
in photosynthesis and moderately from 0.7 to 4.0 mm.
In contrast, soils have lower average absorption across
the solar spectrum. Although leaves of different plant
species vary somewhat in reflectivity, albedo is more
sensitive to the leaf area index (LAI), the average
amount of leaf area per ground area (m2m� 2). Values
of LAI range from 0 for extreme deserts to 1 in arid
regions and up to 5 to 7 or more for forests. The
influence of vegetation on albedo also varies tempo-
rally. For example, forest albedo generally increases in
winter when deciduous trees are leafless or evergreens
are snow covered; cropland and grassland albedo
varies seasonally as the plant canopy develops and
then senesces; and extreme events including droughts,
pest outbreaks, and severe storms can defoliate plants
and increase albedo. Over longer time scales, the
changing distribution of land surface albedo is closely

tied to movement of vegetation zones in response to
climate variation.

Sensible heat, latent heat, and evapotranspira-
tion Ecosystems have a major influence on how the
net radiation received at the surface is balanced by
losses of sensible and latent heat, which in turn have
profound effects onweather and climate. Sensible heat
flux from land warms the overlying air and planetary
boundary layer. Latent heat is the energy required to
evaporate water from soils and plants, and acts to cool
the surface. Evaporated water can be transported
above the planetary boundary layer, where it may
release heat during condensation to form clouds
(which affect radiation balance) or precipitation,
often at considerable distance from the site of surface
evaporation. The presence of vegetation generally
increases latent heat flux relative to sensible heat flux.
Of the 111 000 km3 of precipitation on land each year,
about 71 000 km3 returns to the atmosphere by
evaporation from soils and transpiration from plants
(together considered as ‘evapotranspiration’, ET), the
balance reentering the oceans as river flow. Globally,
latent heat releases from the surface about three-
quarters, and sensible heat one-quarter, of the annual
average net radiation received by the surface.

The ratio of sensible to latent heat flux densities is
known as the Bowen ratio, b: Average b varies
inversely with water availability on land, ranging
from about 0.2 for tropical rain forests to 0.4–0.8 in
temperate forests and grasslands, 2–6 for semi-arid
regions, and 10 for deserts. The Bowen ratio is not
static, however; distinct daily, seasonal, and annual
trends arise from variation in LAI, soil and plant
surface moisture availability, the surface–atmosphere
vapor pressure deficit (VPD), and the resistance of the
plant canopy to transpiration. Transpiration is the
diffusion of water vapor along the concentration
gradient from the saturated interior surfaces of leaves
to the surrounding air viamicroscopic pores known as
stomata (Figure 3), and is the plant process that most
directly impacts ecosystem–atmosphere exchange of
water and latent heat. Transpiration can enhance total
surface evaporation because plants can extract water
from below the soil surface, which itself develops
high resistance with mild drying, and because plant
canopies can present multiple layers (LAI 41) for
evaporation. An example of the importance of tran-
spiration to water balance is apparent from figures for
the Amazon basin estimating that up to 50% of
regional precipitation arises from water transpired
from plants elsewhere in the basin.

Stomata act as variable-aperture valves, the resist-
ance (or conductance) of which responds to environ-
mental factors including light, temperature, soil

Table 2 Reflectivity (albedo) of various surfaces

Surface Albedo

Forests 0.05–0.18

Grassland 0.22–0.28

Crops 0.15–0.26

Snow 0.75–0.95

Wet soil 0.0970.04

Dry soil 0.1970.06

Water 0.05 to40.20
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moisture, VPD, and CO2 concentration. Canopy
conductance is the stomatal conductance averaged
over the total canopy leaf area. Because photosyn-
thetic uptake of CO2 by land plants shares the same
stomatal diffusion pathway as transpiration, stomatal
conductance simultaneously influences water, energy,
and carbon fluxes. Theoretical studies suggest that
stomatal conductance sometimes varies so as to
optimize the efficiency of carbon gain relative towater
loss. Conditions tending to enhance water stress to
plants, particularly low soil moisture and high VPD,
typically lead to partial stomatal closure, which then
causes a decrease in transpiration and latent heat flux
and an increase in surface temperature and sensible
heat flux (i.e., b increases). The potential for ecosys-
tem–atmosphere feedbacks mediated by stomatal
physiology can be appreciated from the fact that
stomatal conductance, through its control on transpi-
ration and latent heat, can influence the conditions
(e.g. vapor pressure deficit) to which it also responds.
This is relevant in the context of global change because
several global change factors (altered temperature,
moisture availability, and CO2) affect stomatal con-
ductance and thus, potentially, can feed back to either
amplify or moderate these changes.

Aerodynamic resistance A third means by which
ecosystems affect surface–atmosphere interactions is
via their influence on the aerodynamic resistance of the

land surface. Aerodynamic resistance varies inversely
with wind speed and the log of the surface roughness
length, the latter being about 10% of the vegetation
height. Thus, for a given wind speed, taller vegetation
such as forest has a lower aerodynamic resistance than
shorter vegetation (e.g., grassland), and promotes
greater turbulent transfer of sensible and latent heat
away from the surface. The vertical structure of the
daytime atmospheric boundary layer is also highly
dependent onpartitioningof sensible and latent heat; a
deeper boundary layer develops when sensible heat
flux is large and convection increases.

Terrestrial ecosystems have several additional influ-
ences on land surface properties and processes. Veg-
etation shields soil from radiation inputs, reducing the
magnitude of the components of soil energy budget.
Plant canopies also intercept precipitation, decreasing
moisture reaching the soil and cooling the canopy
surface when intercepted rain evaporates. Finally, the
distribution of roots in the soil profile affects the water
available for evapotranspiration. Studies of variation
in the natural abundance of stable isotopic forms of
water (H2

18O and 2H1HO) in precipitation, ground
water, soils, plants, and the atmosphere are beginning
to reveal the different sources of water that is
evaporated from soils or transpired by plants, and
the importance of these atmospheric inputs to local
and regional vapor pressure and precipitation.

Terrestrial Ecosystem Effects on Climate

The land surface parameters described above underlie
the influences of ecosystemson climate that are evident
from observational and modeling studies. Sparsely
vegetated urban areas feel warmer, and are warmer,
than nearby forests or grasslands. In the north central
United States, the rate of increase of mean surface
temperature during spring slows abruptly as decidu-
ous trees leaf out and increased latent heat flux imparts
a cooling effect that counteracts the increasing
insolation. The aridity of deserts is reinforced by their
lack of vegetation and, conversely, transpiration by
tropical rainforest returns to these regions as precip-
itation. Avariety of AGCMs have explored vegetation
controls on climate for major regions of the terrestrial
biosphere. Forest clearing for agriculture in the eastern
and central United States during the 19th century is
estimated to have resulted in cooler summers and
autumns, consistent with the instrumental record. The
cooling was due to changes in vegetation characteris-
tics, in this case primarily reduced leaf area, which
increased albedo and reduced net radiation and
sensible heating of the atmosphere. AGCM simula-
tions that replaced Amazon forests with grassland
estimated substantial reductions (300mmy�1) in
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Figure 3 Schematic representation of exchange of water vapor

(e), carbon dioxide (C), and heat by leaves. Gas flux rates are

determined by the leaf-to-air concentration gradient and the

combined stomatal and boundary layer resistance to diffusion.

Light-dependent photosynthetic assimilation of CO2 causes day-

time CioCa and a net uptake of CO2 by the leaf, while in the
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respectively. (After Sellers et al. (1997).)
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evapotranspiration and precipitation and increases in
surface temperatures of 3–51C. Changes in evapo-
transpiration and precipitation arose from reduced
LAI and decreased roughness length, which reduced
turbulent transfer of moisture above the planetary
boundary layer. Surface temperatures increased be-
cause latent heat flux decreased more (12Wm� 2)
than did absorption of solar radiation (6Wm� 2), the
latter due to increased albedo. Reduced evapotranspi-
ration following rainforest clearing is also predicted to
decrease cloud cover, which tends to counteract the
cooling effect of increased surface albedo. The reduc-
tion in cloud cover also increases surface insolation,
but also allows more outgoing long-wave radiation to
be lost by the warmed land surface.

An AGCM scenario of replacing all boreal forests
withbare groundor tundra (short stature vegetationof
low leaf area), showed that boreal forests have a strong
warming influence during winter and summer relative
to the alternative cover situations. The warming
results from the lower albedo of forests than of
snow, which is masked by the overlying trees. Under
the deforestation scenario, land surfaces at high
latitudes were up to 121C colder in April, and
remained as much as 51C colder in July. These
terrestrial changes were linked to sea surface condi-
tions; the colder winter air temperature caused by
deforestation reduced sea surface temperature (SST) in
Arctic regions, inducing a thermal lag that inhibited
warming of land surfaces in the summer. Lower SSTs
increased the extent of sea ice, increasing ocean albedo
and reinforcing the cooling effect of deforestation.
These simulated effects of boreal deforestation were
not limited to the boreal region itself; at latitudes as
low as 301N simulated air temperatures were up to
31C cooler throughout the year in the deforestation
scenario compared to current, control conditions.
These examples of ecosystem impacts on climate
illustrate the importance of including land cover
change in models of future global climate.

Global Change and Ecosystem–Atmosphere
Interactions

Global change, including changes in climate, atmos-
pheric composition, and land usewill alter ecosystem–
atmosphere interactions by changing the abundance,
distribution, and functioning of different terrestrial
ecosystems. For clarity, we discuss ecosystem respons-
es and feedbacks to each of thesemajor global changes
separately, but recognize that these interactions are
likely to be highly interdependent in the real world.

Climate change Global climate change models
project an increase in globally averaged temperature
of 1.4–5.81C over the period 1990 to 2100, a rate of

warming that may be without precedent in the past
10 000 years. Temperature increases for terrestrial
ecosystems should be greater than the global average
because the land surface is not as thermally buffered as
the oceans. High-latitude regions are very likely to
warm considerably more than equatorial and mid
latitudes (a phenomenon known as ‘polar amplifica-
tion’) because warming will reduce the extent of snow
and ice cover, decreasing albedo and increasing net
radiation. Winter warming may exceed summer
warming in high latitudes, while in arid regions,where
soil moisture is low, summer warming may exceed
winter warming because of low latent heat loss.
Warming will drive greater ocean evaporation, and
globally averaged precipitation is expected to increase
by about 10%. Precipitation is likely to increase in
high latitudes in winter as major storm tracks shift
northward. At mid-latitudes, precipitation is likely to
increase in winter, with rain increasing relative to
snow, but decrease in summer in continental interiors.
Aridity is likely to increase in currently arid regions
because, although increased surface temperatures will
drive more evaporation, precipitation will decrease
because the water-holding capacity of air increases
nonlinearly with temperature according to the Clau-
sius–Clayperon relationship, and so air vapor pressure
will tend to be farther from saturation. Most AGCM
projections also forecast increased frequency of ex-
treme weather events including severe storms and
droughts.

The primary approach to understanding climate-
driven changes in vegetation distribution is based on
current correlations between natural vegetation and
climate, the so-called ‘equilibrium’ approach. The
assumption is that, after climate changes, vegetation
will reequilibrate according to the same relationship
that currently exists. Thus, for example, as high
latitudes warm, boreal forests will migrate northward
and arctic tundra will be compressed into a narrower
latitudinal band. Similarly, vegetation zones should
shift upward in mountainous regions to track increas-
es in temperature, a pattern of change that would
reduce the extent and biodiversity of the uppermost,
alpine tundra ecosystems. Zones of optimal grain
production in northAmericamay shift northward into
Canada. In some continental regions, predictions are
confounded by large uncertainties in precipitation
changes and the relative influence of increased tem-
perature and altered precipitation in increasing or
decreasing moisture stress to vegetation.

Although simple, an equilibrium approach is po-
tentially misleading. Vegetation is unlikely to migrate
rapidly enough to track the predicted pace of anthro-
pogenic climate change, meaning that there will be
transient periods in which vegetation and climate are
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mismatchedwith respect to the equilibriummodels. In
addition, other determinants of future vegetation
distribution, including herbivory, fire, severe storms,
and human activities, can strongly affect vegetation
composition, independently of the climate–vegetation
correlation. In Australia, for example, the frequency
of fire is expected to increase with climate change
because of an increased probability of the high
temperatures associated with ignition of bush fires.
Frequency and intensity of fire may also be affected by
changes in chemical properties of plant tissues pro-
duced in elevated CO2. As evidenced by widespread
fires in Indonesia in 1998, wildfire can have major
impacts on atmospheric properties. There is evidence
that outbreaks of insect herbivores are increasing in
boreal forests, but their implications for local, region-
al, or global climate have yet to be explored. Given
these complexities, coupled vegetation–AGCM mod-
els are increasingly including much transient, and in
some cases nonlinear, behavior of vegetation distribu-
tion, behavior that can feed back to alter the pattern
and pace of climate change.

Rising atmospheric CO2 The stomatal response to
CO2 is critical to determining overall vegetation
feedback to climate because it impacts latent and
sensible heat exchange and return of water vapor to
the atmosphere in transpiration. Experimental studies
with a large number of plant species indicate that
stomatal conductance is reduced by about 25%with a
doubling of current atmospheric CO2, there being
considerable variation among species, with coniferous
trees typically responding less than deciduous trees
and herbaceous species typically showing the largest
responses. The stomatal response to CO2 can change
over time as plant physiology adjusts to altered
ecosystem biogeochemistry and the availability of
essential resources, notably soil nitrogen. Whereas
early AGCM studies addressed only the radiative
effects of increased CO2, current models specifically
examine the role of vegetation physiology by allowing
stomatal conductance and photosynthesis to respond
to climatic conditions and atmospheric CO2. Com-
parisons of AGCM simulations for the case of radia-
tion only (physical effects of CO2) with situations
where vegetation physiology also responds in a real-
istic manner to increased CO2 clearly illustrate the
importance of vegetation feedbacks to the climate
system. For tropical latitudes, the fully adjusted
physiological response (reduced stomatal conduct-
ance) accounts for one-third of the nearly 31C increase
in surface temperature. Global CO2 assimilation by
vegetation increased by 11–36% depending on the
degree of physiological adjustment of levels of
photosynthetic enzymes. Lesser increases in CO2

assimilation and the larger increases in surface
temperature come about when leaf nitrogen concen-
tration, which is correlated with levels of photosyn-
thetic enzymes, decreases in elevated CO2 and
stomatal conductance declines strongly, consistent
with maintenance of high efficiency of photosynthetic
water use. Thus, ecosystembiogeochemical responses,
particularly components of the nitrogen cycle, can
influence the response of water and energy exchanges
to elevated CO2.

Land cover and land use change Ongoing human-
caused changes in land use and land cover will
undoubtedly impact biosphere–atmosphere interac-
tions, water and energy exchanges being no exception.
These impacts arise from the influence of key land
surface parameters (roughness length, albedo, LAI) on
climate, as described above. Predictions of patterns of
future land cover change carry substantial uncertainty,
because land use depends onmany different social and
economic factors. It is safe to assume, however, that in
tropical regions the trend toward increased conversion
of forests to grasslands and croplandswill continue. In
the developed regions of the temperate zone, there has
been a net increase in forested area in some regions as
increased agricultural efficiency has allowed crop-
lands to be abandoned and to convert back to forests.
Increased rates of timber extraction in some regions
such as Siberia may introduce climatic effects quali-
tatively similar to those estimated in simulations of
extreme boreal deforestation. Retrospective studies of
past,well-quantified, patterns of conversion of natural
vegetation to various agricultural conditions (pastures
and crops and associated irrigation) indicate that land
cover change has influenced regional climate, but
counteracting influences of land use and land cover
change in tropical and temperate regions have prob-
ably caused little change in global temperature.
In general, tropical forest conversion has warmed
those regions while temperate forest conversion has
produced a cooling. This balance is not likely to
continue, however, because tropical deforestation has
accelerated and temperate deforestation may be
decelerating.

Summary and Conclusions

Together, the atmosphere and terrestrial biosphere
form a coupled, interactive system, exchanging
materials and energy in ways that critically regulate
both biological and atmospheric processes (Figure 1).
Biological production and consumption of greenhouse
gases and aerosols influence the radiative balance of
the atmosphere,while production and consumption of
reactive gases affect atmospheric chemistry, including
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formation and destruction of important pollutants.
Similarly, plants mediate the partitioning of solar
radiation incident on the terrestrial surface, partition-
ing that affects regional and even global climate.
Primarily mediated by plants and microorganisms,
biosphere–atmosphere exchanges vary over the globe
because of organisms’ physiological and ecological
responses to the environment. Ongoing, human-
caused global changes are already altering bio-
sphere–atmosphere exchanges, and these impacts are
large enough that they could substantially shape the
responses of the coupled biosphere–atmosphere sys-
tem to future global changes. To better understand the
consequences of anthropogenic global change, it will
be critical to incorporate these complex interactions in
atmospheric general circulation models.
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Introduction

This report overviews what is known about the human
impacts of climate change. Knowledge in this area is not
well defined, because it depends on the extent of human-
influenced climate change that occurs, which itself
depends on future emissions of greenhouse gases (ghgs),
and measures which may be taken to reduce them
(mitigation). Furthermore, some impacts can be amelio-
rated if measures are taken to respond to them (adapta-
tion). Because the stakes are high, there is considerable
scientific effort being devoted to increasing understand-
ing. In order to help explain the levels of confidence or
otherwise that can be placed in information, sources and
methods for generating it are also outlined in the review.

Context

In the scientific community the greenhouse effect has
been known about and investigated for well over 300

years. But it was during the 1980s that scientific
evidence about the possibility of global climate change
and its consequences became an issue of growing
concern for scientists, decision-makers, and the pub-
lic. It became widely recognized that human-activity
can cause climate changes and can also be impacted by
those changes. In 1988, the United Nations Environ-
ment Program (UNEP) and the World Meteorological
Organization (WMO) jointly established the Inter-
Governmental Panel on Climate Change (IPCC). A
series of international conferences issued urgent calls
for a global treaty to address the problem. The UN set
up a negotiating process which led eventually to the
UN Framework Convention on Climate Change
(FCCC), which was signed by 155 countries at the
United Nations Conference on Environment and
Development, also known as the Earth Summit, in
Rio de Janeiro in 1992.

Since then, an ongoing political negotiating process
has been underway, designed to strengthen the treaty
and establish positive actions. On the scientific side a
parallel institutional process has continued. Through
the IPCC, scientists representing more than 150
countries have assessed the available information on
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climate change and its environmental and economic
effects, and have provided the scientific understanding
needed to help formulate appropriate responses. A
series of IPCC reports (1990, 1995, and 2001),
incorporating extensive peer review, has provided
the most authoritative and comprehensive informa-
tion available. The assessment is undertaken in three
groups: on the science of climate change (Working
Group I); the impacts (Working Group II); and the
economics of and the options for mitigating and/or
adapting to climate change (Working Group III). In
addition, the IPCC also provides on request scientific,
technical, and socioeconomic advice to the conference
of the parties to UNFCCC. In 2001 the IPCC
published its most recent information on climate
change science, which is the main source for this
review.

What Is Meant by Climate Change?

In the Framework Convention in Climate Change,
climate change refers to a change in climate that is
attributed directly or indirectly to human activity that
alters the composition of the global atmosphere and
that is in addition to natural climate variability
observed over comparable time periods. In IPCC
usage, climate change refers to any change in climate
over time, whether due to natural variability or as a
result of human activity.

The ultimate aim of the FCCC is to stabilize
greenhouse gas concentrations ‘at a level that would
prevent dangerous anthropogenic interference with
the climate system’. This stabilization should be
achieved within a time frame that (1) allows ecosys-
tems to adapt naturally to climate change, (2) ensures
that food production is not threatened, and (3) enables
sustainable economic development to proceed.

The Impact: What Is Happening
Already?

In the year 2000, average global mean surface air
temperaturewas some0.61Chigher than temperatures
at the end of the nineteenth century. The rate and
duration of warming of the Northern Hemisphere in
the twentieth century appears to have been unprece-
dented in the millennium. Changes observed in a
diverse set of physical and biological systems in
many parts of the world suggest that regional in-
creases in climate, particularly increases in tempera-
ture, have already affected physical and biological
systems.

� There has been a near-uniform decrease in the
number of frost-free days, and an increased growing

season length over the second half of the twentieth
century in many Northern Hemisphere midlatitude
regions.

� Shrinkage of glaciers has been detected, and also the
later freezing and earlier breakup of ice on rivers and
lakes.

� Sea level increased by about 20 cm between 1900
and 2000.

� Poleward and altitudinal shifts of plants and animal
ranges have been observed, togetherwith declines of
some animal and plant populations and earlier
flowering of trees, emergence of insects, and egg-
laying in birds.

� In North Africa, there has been a relative dryness
over the past fewdecades, a phenomenon thought to
be at least partly related to a change in circulation
patterns over the past few decades.

� The Sahel has become much drier over the last 25
years.

Special mention should be made of the El Niño
Southern Oscillation (ENSO). While confidence in
future occurrences of the frequency and magnitude of
ENSO events is complicated by the fact that intricate
global circulation models do not capture the phenom-
enon well, there are indications however that the
increase in greenhouse gases in the atmosphere has
been responsible at least partly for the observed
warming over a broad triangular region in the Pacific
Ocean associated with ENSO. Associated floods and
droughts are some of the most extreme events expe-
rienced, with profound implications for agriculture,
forests (fires), flooding, droughts, human health, and
natural systems such as coral reefs which are impor-
tant economic assets. ENSOs have occurred more
often since 1975. Measurements covering the last 120
years indicate that the duration of the 1990–95 event
was the longest on record, and the 1997–98 related
events included extensive flooding in the Horn of
Africa, delayed monsoons in Indonesia with pro-
longed fires, and widespread respiratory illness. Trop-
ical forest fires in Brazil, Central America, and
Mexico, raged out of control. Summer heat waves
killed hundreds in Florida. The 1998 La Niña event
continued the extreme weather, with impacts such as
widespread flooding in Bangladesh and China – the
latter displacing 230 million people and – Hurricane
Mitch, which swamped the Central American isth-
mus. Overall, 1998 proved to be the most costly year
on record in weather-related impacts.

Climate Change Science

Currently, climate change is not expected to be
significantly detectable above natural variability until
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the 2020s, and its effects will deepen through the rest
of the century. The assessment of its impact therefore
involves ambitious long-term future-gazing, and is a
developing area of science. It follows that the methods
and contexts in which this endeavor is undertaken are
crucial to the outcomes and need to be made explicit.
In this report, as indicated, particular use is made of
the IPCC Third Assessment Report, because it is the
major synthesis of current research and was recently
published (2001).

In the latest assessment by the IPCCWGon science,
averaged surface air temperature is projected in the
models to warm by 1.4 to 5.81C relative to 1990 levels
and globally averaged sea level is projected to increase
by 0.09 to 0.88mm by 2100. The ranges derive from
the use of different GCMs and emission scenarios. A
first round of impacts can be confidently predicted:
glaciers and icecaps are projected to continue their
widespread retreat during the twenty-first century. In
addition there will be changes in the variability of
climate, and also in the frequency and intensity of
some extreme climate phenomena. These general
features of climate change act on natural and human
systems, and they set the context for the impact
assessment, but they were not available for many of
the impact studies reviewed in the WG II assessment.
This is important to note, because the new scenarios
have increased temperature rise and much of the
available literature has not yet assessed climate change
impacts, adaptation, and vulnerability associated
with the upper range of warming. Most work has
not examined transient change, either. Also, no one
knows precisely what will happen once complex
changes start, particularly how they will interact
and what feedback mechanisms may kick in – for
example, the release of methane and large-scale
carbon emissions from the die-back of the Amazonian
forest.

The projected temperature and sea-level rises
associated with a range of emissions, assuming
no policy interventions are made, is set out in
Table 1.

Assessing the Human Impacts of
Climate Change

While there are a number of ways of examining
climate change impacts, an integral feature is the
assessment of changes associated with climate scenar-
ios – although the emphasis given to this assessment
does vary. Scenarios are plausible alternative futures
intended to explore possible changes. Other scenarios,
particularly those intended to explore social and
economic dimensions in the future, also need to be
used for thoroughgoing assessments, but few studies
have yet incorporated both climate and socioeconom-
ic scenarios. Most studies of vulnerability of natural
systems to climate change follow projections of global
change captured in a range of global models. Because
global climate models (GCMs) are constantly being
refined, and depend on emission scenarios, which are
also revised intermittently, there is a lag, so the most
recent research on climate change impacts tends not to
be related to the most recent developments in GCMs.

The impacts of climate change will depend on the
sensitivity of the system and to what extent it can
adapt, either through autonomous adjustment or as a
result of direct policy intervention. For this reason, the
IPCC conceptual framework, which has been adopted
widely, differentiates increasingly between the sensi-
tivity of systems, their adaptive capacity, and their
ultimate vulnerability. However, few studies have yet
fully examined adaptive capacity. Climate change can
have beneficial as well as adverse effects, but it is the
adverse effects that are expected to predominate in
much of the world – particularly the developing
countries.

Sensitivity, Adaptive Capacity, and Vulnerability

� Sensitivity is the degree towhich a system is affected,
either adversely or beneficially, by climate-related
stimuli. Climate-related stimuli encompass all the
elements of climate change, including mean climate
characteristics, climate variability, and the frequency
andmagnitude of extremes. The effectmay be direct
(e.g., a change in crop yield in response to a change
in the mean, range or variability of temperature) or
indirect (e.g., damage caused by an increase in the
frequency of coastal flooding due to sea-level rise).

� Adaptive capacity is the ability of a system to adjust
to climate change (including climate variability and
extremes) or to moderate potential damage, to take
advantage of opportunities, or to cope with the
consequences.

� Vulnerability is the degree to which a system is
susceptible to, or unable to cope with, adverse
effects of climate change, including variability and
extremes. Vulnerability is a function of the charac-

Table 1 Projected temperature and sea-level rises

2025 2250 2100

CO2 concentration 405–460ppm 445–640ppm 540–970ppm

Global mean

temperature

change from

the year 1990

0.4–1.11C 0.8–2.61C 1.4–5.81C

Global mean sea-

level rise from

the year 1990

3–14 cm 5–32 cm 9–88 cm
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ter, magnitude, and rate of climate change and
variation towhich a system is exposed, its sensitivity
and its adaptive capacity.

Basically, all impacts will increase with temperature
rise – take the example of biodiversity for example,
which serves as an indicator of the health of the planet.
Some highly vulnerable species may be at risk of
damage or even loss with very small changes, while
greater losses will ensue from higher temperatures
specifically threatening vulnerable ecosystems such as
the Arctic, the Cape Region of South Africa, and
tropical biodiversity ‘hotspots’. At higher tempera-
tures coral bleaching will also increase, as will
disturbance to ecosystems caused by fire and insect
damage, and also the loss of coastal wetlands and
shorelines.

Impacts on Key Sectors and Places

Key systems and zones that sustain human societies are
sensitive to climate change. Those briefly examined
here are: agriculture, coasts, water resources, human
health, and human settlement.

Agriculture

The response of crop yields to climate change varies
widely depending on the species, cultivar, soil condi-
tions, treatment of CO2 direct effects, and other
locational factors. Higher CO2 levels can cause a
fertilizer effect. A few degrees of projected warming
are likely to be benign to temperate agricultural
systems, but with larger amounts of projected warm-
ing most temperate crop yield responses will become
generally negative.

Adverse impacts are anticipated most of all in the
tropics. An authoritative and innovatory set of studies
has been undertaken using the Hadley Center GCM.
Results show that if emissions increase without
reductions from policy interventions, by the 2080s
cereal yields in Africa, the Middle East and, particu-
larly, India may be expected to decrease. While at a
global level, production and prices may be relatively
unchanged, some regions, particularly Africa, will be
adversely affected, experiencing marked reductions in
yields; global assessments can therefore mask regional
vulnerability, particularly when people cannot move
from subsistence to market-based supply. With lower
levels of yield and a fall in production, the risk of
famine will be exacerbated.

Coasts

Around 20% of the world’s population live within
30 kmof the coast, and these communities are growing
at twice the rate of the global trend. It can also be

anticipated that standards of flood defense are also
likely to rise in accordance with projected increases in
GDP per capita. Assuming no sea-level rise, the
number of people affected by coastal flooding can
therefore be expected to rise marginally between 2020
and 2080 from 10 million to 13 million. With
unmitigated emissions and the same levels of sea-
defense, however, this number increases by 81million,
particularly as the areas have been growing relatively
to inland zones.

As many as 55 million of the 81 million are
projected to be in southern Asia (along coasts from
Pakistan, through India, Sri Lanka, and Bangladesh to
Burma). Over 20 million will be vulnerable in South-
East Asia (Thailand to Vietnam, including Indonesia
and the Philippines). Substantial populations will also
be affected in eastern Africa (South Africa to Sudan,
including Madagascar).

Proportionately, it is the island states which are
most vulnerable to unmitigated emissions. Poorly
developed internal infrastructure and their dependency
on maritime connections have meant that key infra-
structure is often concentrated along the coast (capital
cities, ports, and tourist facilities); furthermore, coast-
al areas often provide the most favored sites for new
settlement).

In addition to sea-level rise, the mean number of
people who would be affected by coastal storm surges
increases severalfold if ghg emissions are not reduced.

Water Resources

Confidence in projections for the hydrological cycle
and its impacts in different parts of the world is at a
lower level than confidence in projections relating to
temperature increases, as there are variations between
climate scenarios. One medium-confidence projection
is that of increases in mean annual stream flow in high
latitudes and in South-East Asia, with decreases in
Central Asia, the area around the Mediterranean,
southern Africa and Australia.

Agricultural use of water, mostly for irrigation,
forms the greatest part of water use, with almost 70%
of all withdrawals – domestic use is only about 10%of
all withdrawals. With higher temperatures and thus
higher losses from evapotranspiration it can be
expected that there will be increased demand for
water for agriculture.

However, per capita consumption in developing
countries is declining, owing to population growth
and problems concerning accessibility.

The amount of water available from rivers is
projected to decline substantially in Australia, India,
southern Africa, most of South America and Europe,
and the Middle East by the 2080s if emissions are not
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mitigated. Increases are expected in North America,
Asia (particularly Central Asia), and central eastern
Africa. Overall water resource stress (the ratio of
national water withdrawals to total national average
annual runoff, including water imported from up-
stream countries) is predicted to worsen in many
regions, for example, northern Africa, the Middle
East, and the Indian subcontinent.

Water supply systems which rely on snow melt can
expect to change, with a shift in the timing of
streamflow from spring towards winter in many areas
associated with observed increases in temperature. In
some places where water supply is critical, such as the
Pacific Northwest of America, water management
systemswill need to changewith reducedwater supply
availability in the summer. Glacier retreat – an
observed phenomenon – also has implications for
downstream river flows. Initially glacier melt will
increase during summer, but as the glaciers decrease
summer flows will no longer be supported and will
decline below present levels. An increase in surface
temperature is expected to contribute to a rise in the
snowline in the western Himalayas, which will reduce
the capacity of the natural reservoir, and this, com-
bined with any intensification of the monsoon, will
increase the risk of flooding in Nepal, Bangladesh,
Pakistan and North India during the wet season.

Changes in the hydrological cycle are also expected
to lead to the incidence of more droughts in some
regions. However, with increased possibilities for
recharge during winter months, the effects on water
resources need to be investigated region by region and,
ideally, catchment by catchment. In Europe, for
example, while most parts get wetter in the winter
season, in summer there is a strong gradient of change
between northern Europe (wetting of up to 12% per
decade) and southern Europe (drying of up to �5%
per decade).

The increased frequency of heavy rainfall events,
which have already been observed in some places, can
increase runoff and cause increases in floodmagnitude
and frequency. In the USA and the UK, more precip-
itation is falling in large events than in earlier decades.
Intense precipitation can cause flood, landslide, ava-
lanche, and mudslide damage, as well as ongoing soil
erosion. Flood magnitude and frequency are likely to
increase in most regions, and low flows are likely to
diminish further.

Human Health

Significant human health impacts are associated with
thewide range of environmental disturbances brought
about by climate change. It can be expected that the

most vulnerable groups will suffer the most: the old
and young, the poor, particularly those not on
adequate nutritional levels, and the infirm. Health
impacts are expected generally to be adverse, notably
in the developingworld. Changes in the frequency and
intensity of the extremes of cold, heat, flood and
drought will have knock-on effects on mortality,
morbidity, and population displacement, and adverse
effects on food production and on fresh water avail-
ability and quality, increasing the risks of infectious
disease epidemics, particularly in developing coun-
tries. Several major climate-related disasters have
already had major adverse effects on human health –
including floods in China, Bangladesh, Mozambique,
and Europe, famines in Sudan, Southern Africa, and
Central Asia, and Hurricane Mitch. Major forest fires
have been associated with an increase in respiratory
and lung symptoms. Although these events cannot be
attributed confidently to climate change, they indicate
the susceptibility of vulnerable populations to the
adverse effects of such events.

Disruption of populations and of economic activity
will also have various health consequences. The effects
of floods can be immediate (drowning), medium-term
(communicable diseases such as cholera, hepatitis A,
leptospirosis, diarrhoea, and respiratory infections)
and long-term (stress-related illnesses and psychiatric
problems). While these problems are experienced
most in the developing world, they do constitute one
of the major predictable climate change impacts in the
developed world too.

Overall, in temperate countries it is expected that
reduced winter deaths would outnumber increased
summer deaths. Increased temperature would proba-
bly be associated with an increase in humidity,
aggravating stress. Impacts in large cities would be
worse than in surrounding rural areas, particularly
because of the urban heat island effect. Deteriorating
air quality is expected in many large urban areas,
assuming that current emission levels continue.
Climate change may increase the concentration of
ground-level ozone. Conversely, reductions in fossil
fuel consumption and reduced particulate emissions
have been shown to have beneficial effects on human
health. Changes are expected in vector-borne diseases
such as mosquito-borne encephalitis, Lyme disease,
and tick-borne encephalitis. For some diseases a net
decrease may occur.

Malaria is the most notable vector-borne disease
whose incidence is likely to be significantly altered by
climate change; it is already one of the world’s most
serious and complex public health problems and is
undergoing a current resurgence. All models show net
increases in the potential transmission zone of malaria
and changes in seasonal transmission at a global scale
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under various climate scenarios. Methods vary for
estimating the numbers of vulnerable people and the
modeling of underpinning ecological changes is not
fully refined. Vulnerability also depends on socioeco-
nomic development, and the extent to which prevent-
ative adaptationmeasures may be taken is also subject
to a range of unknowns.

Nevertheless, it can be expected with medium to
high confidence that in areas with limited or deterio-
rating public health infrastructure, and where temper-
atures will cause vector-borne diseases such asmalaria
and dengue to extend to higher altitudes and latitudes,
incidence will increase. Also, higher temperatures com-
bined with conducive patterns of rainfall and surface
temperature will prolong transmission seasons in some
endemic locations. Ultimately, the impacts of the effects
will depend on the prevailing social, economic, and
political situation in any particular country.

Human Settlement

Manyof the impacts projected coalesce in urban areas,
although the precise location of the settlement will
mean that each receives its own particular combina-
tion of effects; for example, settlements near rivers and
coasts are likely to experience flooding. The extent to
which each settlement is vulnerable will also depend
on prevailing economic, social, and regulatory condi-
tions. Informal settlements around major cities in the
developing world may be at risk because of their
current vulnerabilities, which could be exacerbated by
climate change, and in view of limited control over
resources to diminish the impacts.

Three major types of impact can be identified:

1. Supporting economic sectors may be affected be-
cause of changes in productive capacity, for exam-
ple in agriculture or fisheries, or changes in market
demand for goods and services produced there.

2. Physical infrastructure is vulnerable tomany severe
weather conditions: transmission and distribution
systems for energy may be affected by a range of
events including strong winds, heavy snowfalls, ice
storms, lightning, andheavy rainfall;water supplies
may be disrupted by droughts and floods and
subsidence due to changes in soil conditions; roads
and rail systems can be affected by flooding, and by
subsidence due to melting permafrost; and build-
ings are susceptible to extremes of heat and cold,
heavy rainfall, flooding, and strong winds.

3. Residents of urban areasmay be directly affected by
extreme weather, or indirectly if economic disrup-
tion ensues. Physical attributes of settlements can
exacerbate heat stress, and may increase the spread
of vector-borne diseases such asmalaria and enteric
diseases such as cholera.

Potential increased damage to property with climate
change has caused concern in some parts of the financial
sector. Of the 40 worst insured losses since 1970 only 6
were not weather-related, and 28 related towindstorms
in both tropical and temperate countries.

Completed Assessments of Impacts
of Climate Change

In view of the substantial potential impacts of climate
change, and recent direct experience of some extreme
weather events of the type which are expected to be
experienced more frequently with climate change,
many governments have been initiating studies. In
some developing countries, a first round of studies has
been completed, assisted by overseas aid and some
technical support. However, limited resources, lack of
spatial resolution in climate models, and data weak-
nesses have meant that useful information has not
always been produced for decision-makers. Support
for capacity-building and themaintenance of country-
based teams is known to be needed. There are
commitments for support for adaptation measures
under the UNFCCC and a new around of research is
now underway.

In developed countries, assessmentmethods are also
constrained by scientific understanding captured in
scenarios and data constraints. Some governments
have sponsored coherent programs of research intend-
ed to informdecision-making. In theUSA theNational
Assessment was completed in 2000 and comprised a
set of regional and sectoral studies involving stake-
holders and scientific experts based on two global
climate models. In the UK, top-down expert assess-
ments have been funded (1991 and 1996), and since
1997 stakeholder-led research has been fostered and
coordinated through the UK Climate Impacts Pro-
gramme (UKCIP). New climate scenarios have been
published for this programme (2002) which use input
from a global climate model (300 km grid) into a
higher-resolution regional model with a 50 km reso-
lution: these should enable improved information to
be generated for policy-makers.

See also

Climate: Overview. Climate Variability: Decadal to
Centennial Variability. Global Change: Biospheric Im-
pacts and Feedbacks; Surface Temperature Trends.
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Introduction

Continuous measurements of ozone have been made
for several decades, with the longest record starting as
far back as 1926. While the longest records are from
ground-based stations, truly global coverage has been
achieved since 1979 with instruments carried on
satellites. Together these show the following general
features. There is severe ozone depletion over Antarc-
tica each Austral spring (the Antarctic ozone hole),
periodic large losses over the Arctic in Boreal spring
and smaller long-termdecreases over themidlatitudes.
There are no statistically significant trends over the
tropics. Both changes in chemical composition, par-
ticularly chlorine and bromine amounts, and changes
in atmospheric dynamics have influenced the ozone
changes over the last decades. It is important to
distinguish between these two in order to assess the
effect of the international phasing out of the emissions
of ozone-depleting substances and the possible influ-
ence of climate change on stratospheric ozone and
UV radiation.

Background

An accurate determination of the magnitude and
nature of trends in ozone is needed if the relative

contributions of the various possible causes of decadal
changes in ozone are to be distinguished. The Antarc-
tic ozone hole is a good example where ozone
measurements provided tight constraints on the pos-
sible causes of the rapid springtime depletion. High-
quality measurements of the total ozone column
(integrated from the ground to the top of the atmos-
phere) since the 1950s provided an excellent clima-
tology which showed that the decline first observable
in the late 1970s was a new phenomenon and not part
of the natural variability. These same measurements
showed that total ozone dropped rapidly from the end
of August and that extensive loss did not take place in
the polar night, but only upon the return of sunlight.
Measurements of the vertical distribution of ozone
soon confirmed the latter point and,more importantly,
showed that the loss occurred in the lower strato-
sphere, principally at altitudes between 15 and 20km.
By early October, the atmosphere between 14 and
21 km altitude in the core of the vortex is practically
devoid of ozone. The average total column ozone
amounts inAntarctic spring (September toNovember)
in the 1990s were about 60% lower than those in the
1960s. During the 1990s the Antarctic ozone hole of
late winter and spring continued unabated. In each
year of the 1990s the final warming of the vortex,
which effectivelymarks the endof the ozonehole, took
place in December. By contrast, the final warmings in
the 1960s to 1980s were earlier in the year, occasion-
ally as early as mid-October. These observations
tightly constrain possible explanations, especially
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when allied with the chemical and aerosol measure-
ments made since the 1970s.

There is no other region where available ozone
measurements provide such tight constraints. While
this is partly due to the large size of the ozone loss over
Antarcticawhich dwarfs the uncertainties in the ozone
measurements and partly due to the relative homo-
geneity inside the Antarctic vortex, it is also testament
to the perseverance of the people who made the
measurements. A record of similarly high quality has
not been available for most of the globe, and our
knowledge of global ozone trends is limited by the
length and quality of the available ozone record. This
limitation is compounded by the smaller magnitude of
the trends outside Antarctica. Reviews of the under-
standing of global ozone trends are presented in the
series of WMO assessments.

Long-Term Ozone Measurements

Something on UV Absorption/Measurement

Our picture of the multidecadal variations on ozone
comes from the ground-based network, principally
Dobson spectrophotometers, which was mainly in the
northern midlatitudes in the early years. Reliable
records in this region have been available from several
locations since the early 1960s. The quality of the
global record is patchy, but it has been greatly
improved over the last 20 years. The longest contin-
uous record of measurements is from Arosa in Swit-
zerland, where measurements of ozone have been
made since the 1920s. Figure 1 shows the measure-
ments from Arosa since the 1920s.

It is now over 20 years since the Nimbus 7 satellite
was launched which included the TOMS and SBUV
instruments in its payload. The two instruments
worked for unexpectedly long times, until 1993 and

1990, respectively. Subsequent versions of both types
have been flown, and it is possible to combine records
from the different instruments provided great care is
taken with their absolute calibrations. In practice, the
only independent means of assessing this is by com-
parison with the ground-based stations, a process
which inevitably reduces their true independence. The
magnitude of the observed trends is comparable with
the uncertainties in the two main measurement sets,
and so the quality of measurement is an issue of prime
concern. Other satellite instruments have been oper-
ational for a few years. Themost promising of these in
terms of a long-term data set is the Global Ozone
Monitoring Experiment (GOME), which has been
operational since 1995 and for which a number of
similar instruments are planned for launch in the next
decade. It is important that these European and US
satellite systems are used in complementary ways that
serve to increase the quality of the world’s ozone
observing system. Experience has shown the absolute
need for the well-run, closely calibrated network of
ground-based instruments that operate within the
World Meteorological Organization’s Global Ozone
Observing System (Figure 2).

The limits on statistical significance imposed by
natural variability and particularly by uncertainty in
instrumental calibration do not necessarily equate
with scientific importance. Two particular instances
stand out – ozone over the tropics where a small
change in ozone could have large radiative impact, and
ozone in the lower stratosphere which is hard to
measure with good precision and accuracy on the
global scale.

Ozone Trends

Recent analyses of ozone data confirm the now
familiar features of the stratospheric ozone depletion
that has occurred since the 1970s. At midlatitudes in
the Northern Hemisphere, there has been a statisti-
cally significant decline in total ozone in all seasons
with larger reductions in winter and spring than in
summer and autumn. The loss of ozone at southern
midlatitudes is also statistically significant throughout
the year, albeit with a smaller seasonal variation. No
statistically significant trends in total ozone have been
observed in the tropics.

Total ozone over northern midlatitudes (25–601N)
is shown inFigure 3. Two sources ofmeasurements are
used: the network of ground-based instruments (Jan-
uary 1979 to December 1997), and the series of Total
OzoneMapping Spectrometers (TOMS) from January
1979 to July 1999. There is good agreement between
these two records at northern midlatitudes. The
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seasonal cycle has been removed from the measure-
ments by using a statistical model. The record low
values in 1992/93 still remain the lowest observed.
With the exception of the 1997/98northernwinter, the
total ozone values in the last 4 years at northern
midlatitudes are 4–6% lower than those around 1980.
It is not obvious that they are significantly different
and higher than those predicted by extrapolating the
trend calculated for the period 1979–91, the period
prior to the volcanic eruption of Mount Pinatubo.

The measurements from the ground-based network
of instruments and from TOMS agree well (71%) in
the northern midlatitudes. However, at low latitudes
andparticularly in the southernmidlatitudes, there is a
greater uncertainty (of perhaps 1–2%) associatedwith
the measurement records. There are two possible
explanations. First, the TOMS instruments response
may be latitude dependent. TOMS measurements
might be inadvertently calibrated to agree at northern
midlatitudes where the ground-based network is
strongest and most of the comparisons of TOMS
data have been made. The alternative explanation is
that the poorer coverage of ground-based stations in
the tropics and Southern Hemisphere has, by chance,
resulted in a bias that has changed over time.

The ground-based measurements of total ozone
indicate that since the 1970s similar depletion has
occurred over southern midlatitudes as over northern
midlatitudes. However, the pattern in the 1990s is not
the same, with a continued, almost monotonic decline
in the southern hemisphere. Globally (601 S–601N),
total ozone in the late 1990s was 3–4% lower than in
the 1970s (WMO, 1999). No statistically significant
trends in total ozone have been found in the tropics.

Whichever explanation is correct, care must be
taken in discussions of the possible ‘recovery’ of the
ozone layer in the tropics or southernmidlatitudes and
in the global average until this data quality issue is
resolved. There is a great danger of overinterpreting
changes of 1% or so – after all, this is the estimated
stability of the observational network for total ozone.

Another issue to keep inmindwhen interpreting the
ozone record is how the ozone trends are calculated,
i.e., whether the assumptions underlying the statistical
analysis are valid. The statistical models used to
calculate ozone trends attempt to account for a
number of sources of variations in ozone. The stand-
ard approach is to describe the effects of natural
phenomena such as the quasi-biennial oscillation
(QBO) and the 11-year solar cycle by assuming a
linear relation between the strength of these phenom-
ena and total ozone. The ozone trends have generally
been assumed to be linear. The details of the statistical
analysis would be of solely academic interest if the
relationship of total ozone with the QBO and partic-
ularly the solar cycle were well established and if the
chemical destruction of ozone was really expected to
be linear. In practice, this is not the case.

The ozone values shown in Figure 3 are those found
after removal of the seasonal cycle, but without
removal of the influence of the QBO or the solar cycle.
Figure 4 shows the total ozone after removal of all
these effects and so, in principle, only the ‘real’ long-
term trend remains. In practice, there is appreciable
interannual variation in both figures, with a greater
scatter (principally from the QBO) in Figure 3. The
post-1996 values are closer to the long-term trend
extrapolated from 1979 to 1991when no allowance is
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Figure 2 The average global ozone distribution with low values in the tropics and higher values at higher latitudes. The diamonds

illustrate the ground-based stations where ozone observations are made within the WMO–GAW network. (Courtesy of WMO.)
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made for the QBO or the solar cycle, i.e., in Figure 3.
This comparison is important because recentwork has
suggested that the quasi-decadal cycle in total ozone
previously described in trend analyses using the 11-
year solar cyclemight in fact be induced by the changes
in stratospheric sulfate aerosol loading which have
been very strongly influencedby the volcanic eruptions
of ElChichon in 1982 andMount Pinatubo in 1991. In
other words, one of the assumptions underlying the
statistical model that has been used in all recent major
assessments has been questioned. A second assump-
tion that needs to be questioned is that the long-term
trend is linear.

A thoroughassessment of the variousmeasurements
of the vertical distribution of ozone has resulted in
greater overall confidence in our knowledge of the

trends.Figure 5 shows the best estimates (derived from
fourmeasurement systems) of the trends over northern
midlatitudes from 1980 to 1996. There are two clear
maxima, one around 40 km (�6 to �8% per decade)
and one around 15 km (�5 to �10% per decade), and
statistically significant trends have occurred at all
altitudes between 12 and 50 km. Furthermore, the
seasonal variation of the ozone trends over northern
midlatitudes is greatest at altitudes between 10 and
20 km. Small trends in ozone below 20 km are found
when the measurement record through to 2001 is
considered.

However, ozone trends below 20km over other
parts of the world must still be treated with caution
because (1) uncertainties about the early measure-
ments (1979–81) of the SAGE satellite instrument
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Figure 3 Deviations in total ozone, area weighted over 25–601N. A seasonal trendmodel (not including the effects of the solar cycle or

the quasi-biennial oscillation) was fit to the ozone data over the period from January 1979 toMay 1991. The upper panel shows the TOMS

record and the lower panel shows a ground-based series constructed from average ozone at stations in 51 latitude bands. Trend models

are fit independently to the two data sets. The solid straight line represents the least-squares fit to the deviations up to May 1991 and is

extended as a dotted line through December 1997. (Courtesy of WMO.)
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limit confidence in the trends below 20km from 1979,
and (2) there are insufficient correlativemeasurements
outside the northern midlatitudes to compare with
SAGE trends. It remains a concern, because of the
potential importance to climate change, that trends of
ozone in the tropical lower stratosphere and upper
troposphere still cannot be reliably derived using the
currently available measurement systems.

Finally, it is interesting to compare what happens
over the Arctic with the dramatic changes that have
occurred over Antarctica. Unfortunately, there are not
many good long-term measurements in the Arctic
region. The best covered region is the Canadian Arctic
where total column ozone has been measured since
1957 and a program of regular ozonesonde flights has
been in place since 1966. These and other observations
show that the natural variability of Arctic ozone is

much greater than Antarctic ozone and depends
strongly on the dynamical situation in each winter.
Further, the observed ozone losses in the Arctic vary a
great deal from winter to winter, with large losses in
cold winters when the processes leading to chemical
ozone loss are favored. Large ozone losses (20–30% in
the column and 40–70% at altitudes around 18 km)
caused by chemistry have occurred during each of the
five coldwinters since 1993/94. If the observed cooling
trend continues, cold winters will be more frequent in
the future and large ozone losses will occur.

Discussion

There are strong chemical and dynamical influences
on stratospheric ozone, and it is reasonable to suspect
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that either or both could be contributing to the
observed long-term global changes. There is no doubt
that rapid chemical ozone loss occurs over the
Antarctic and Arctic in winter/spring. The signal is
large and a whole host of chemical measurements
allow unambiguous identification of perturbed halo-
gen chemistry as the cause. There is equally no doubt
that the ozone-depleted air is subsequently mixed over
larger areas and leads to reduced ozone amounts over
midlatitudes.

More attention is now being paid to examining the
time-series of ozone measurements to see if the
observed interannual variations can provide informa-
tion on possiblemechanisms. For example, 2Dmodels
of stratospheric chemistry and dynamics have been
used to investigate the effect of observed aerosol
amounts on the trends calculated for the chlorine and
bromine changes. Their calculated ozone changes
following major volcanic eruptions in the 1980s and
1990s correlated with variations in the observed total
ozone record. However there is poor agreement
between mode calculations and measurements in the
southern midlatitudes.

It is clear that chlorine and bromine compounds
lead to ozone depletion, but do they account quanti-
tatively for all of the observed trends or are other
factors involved? Analyses of total ozone trends
routinely include terms to describe the influence of
the solar cycle and the QBO on total ozone. With over
20 years of global satellite data and over 40 years of
ground-based observations – i.e., longer than the

periods of these or other natural phenomena that
could affect ozone – the trends (assumed to be linear)
are robust to possible errors in the description of these
phenomena. It is still possible, however, that the
attribution of the observed variations in total ozone to
these phenomena is not correct. For example, some of
the apparent influence of the solar cycle on total ozone
may actually be related to the timing of the recent
volcanic eruptions.

Long-term changes in the circulation of the atmos-
phere connected with climate change could cause
trends in total ozone. Changes in temperature have
been observed. How much do the observed tempera-
ture changes result from the ozone changes? The
observed regional variations in the ozone trends have
been attributed to the observed changes in the geopo-
tential heights in the low stratosphere and the upper
troposphere. An increase in the tropopause height at
Hohenpeissenberg,Germany (420mover 30years), has
been suggested as contributing to the observed long-
term change in ozone there, in both the column and the
vertical distribution. It is important to find out on what
scales such changes areoccurring. Is it a redistributionof
stratospheric ozone leading to local changeswith no net
global change or is there a more fundamental change in
the stratosphere leading to both regional and global
changes in stratospheric ozone?

The most unlikely scenario would seem to be one in
which there is no change in the climatology of the
stratosphere. Climate model studies indicate that
increased CO2 concentrations in the atmosphere
modify the chemistry anddynamics of the stratosphere
with consequent changes in the ozonedistribution. For
example, tropopause height is calculated to have
increased in altitude as a result of increased green-
house gas concentrations. Changes in the chemical
composition of the stratosphere are thus likely to be
occurring in the presence of a changing dynamic
structure of the stratosphere. Identifying, attributing,
and predicting changes in ozone (both in total and in
the vertical distribution) thus becomes very tricky.

Another important issue is the evolution of total
ozone in the 1990s, in particular since the eruption of
Mount Pinatubo in 1991. Figures 3 and 4 show that
total ozone values at northern midlatitudes were
depressed following the eruption with minimum values
in 1992/93. This behavior was also seen in the tropics,
but not in the Southern Hemisphere. Since about 1994
total ozone amounts have been roughly constant in
northern midlatitudes. As usual when considering
factors affecting stratospheric ozone, both dynamic
and chemical factors have to be taken into account.

Interannual variability in stratospheric transport is
amore important factor on shorter time scales than on
longer ones. This issue has been examined in some
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recent modeling studies where 3D models of the
atmosphere were run using the observed winds in the
period following theMount Pinatubo eruption. These
calculations indicate that most of the large negative
anomaly in 1992/93 could be attributed to interannual
variations in dynamics, with a possible radiative
enhancement resulting from the stratospheric aero-
sols. The high values seen at high northern latitudes in
the 1997/98 and 1998/99winters seem to be caused by
a stronger Brewer–Dobson circulation than in the
previous few winters.

During themid-to-late 1990s, the rate of increase of
stratospheric halogen loading decreased and reached a
broad maximum. The reduced growth in halogen
loading should have caused a deceleration (but not an
absolute decrease) in the resultant chemical ozone
depletion. However, the largest influence on the chem-
ical depletion of ozone over the last few years was
probably the reduction in the stratospheric aerosol
loading. Model studies indicate that in 1992/93 the
enhanced aerosol resulting from the eruption ofMount
Pinatubo caused an enhanced chemical depletion of
totalozoneatnorthernmidlatitudesof2–6%above that
calculated for a constant background aerosol.

The variation of the ozone columnover the northern
midlatitudes in the 1990s has been complex with low
values after theMount Pinatubo eruption in 1991 and
somewhat higher values in the late 1990s. The
interpretation of these latter values is difficult. Could
they, for example, be signs of ozone recovery in
response to the Montreal Protocol? This is unlikely.
The interannual variability in the atmospheric trans-
port of ozone is at least partly responsible for the high
column amounts. Further, the reduction in the growth
in stratospheric halogens, consequent on theMontreal
Protocol, should be secondary to the chemical impact
of the reduction in sulfate aerosol since the eruption of
Mount Pinatubo. At the moment it is too early to
examine the observational record and to conclude that
it shows evidence of an ozone recovery in response to
reductions of ozone-depleting substances.

More time must elapse and new statistical ap-
proaches need to be developed before the issue of

recovery can be addressed. The quantitative descrip-
tion of dynamical changes needs to be improved, the
turning over of atmospheric halogen levels must be
included, and a better way of distinguishing between
the effect of the solar cycle and the combined effect of
changing aerosols and halogen levels is needed. The
trendmodelswill inevitablymove closer to attribution
than they have hitherto, more along the lines of
detection and attribution studies in climate change.
Whether the observational record of ozone is good
enough (and the natural variability small enough) for
more sophisticated techniques to produce clear
answers remains to be seen.
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Introduction

Surface temperatures have risen by about 0.61C since
the beginning of the twentieth century. This article

addresses the quality of the basic temperature data
over the terrestrial andmarine domains. The warming
has not occurred in a linear fashion but in two periods,
1920–44 and since 1975. Spatial patterns of the
warming in these two periods indicate marked sea-
sonal differences, with few regions exhibiting statis-
tical significance, although hemispherically and
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globally the warming is highly statistically significant.
The changes in temperature are further dissected: this
shows that the warming is occurring more by reduc-
tions in cold extremes compared with increases in
warm extremes and occurring more at night than
during the daytime. The twentieth century warming is
then placed in a longer context by considering longer
European instrumental records and millennial-length
paleoclimatic information frommany diverse proxies.
The latest evidence shows that the twentieth century
was both the warmest of the millennium and the
warming rate during it unprecedented. The 1990s
were the warmest decade and 1998 the warmest year.

Quality of Temperature Data

Any assessment of trends or changes in temperature
requires that all the observations have been taken in a
consistent manner. Climatologists refer to this prop-
erty as homogeneity. Time series of temperature are
homogeneous if the variations exhibited are solely due
to the vagaries of the weather and climate. Numerous
nonclimatic factors influence the basic data, causing
erroneous conclusions to be drawn regarding the
course of temperature change. The factors vary
depending upon the data source and are briefly
considered in the next two subsections for the terres-
trial and marine components of the Earth’s surface.

Land

It is extremely rare if observational protocols and the
environment around the observing location have
remained exactly the same during the station’s history.
Changes are likely to have occurred with the instru-
ments, their exposure andmeasurement techniques, in
the location of station and the height of the instru-
ments, in the times of observations per day, and the
methods used to calculate daily andmonthly averages.

The commonly used louvred screen developed by
Stevenson in the 1860s/1870s is now the standard
around the world, although different countries use
variants of a similar design. Prior to this, most
thermometers were positioned on poleward facing
walls (i.e., out of direct sunlight), but this poses
problems in high-latitude regions in the summer.Most
stations havemoved at least once during their lifetime.
Also of importance is the time observations are made
each day. Even today, there is no accepted standard,
countries being allowed to choose whatever times suit
them. English speaking countries have tended to use
the average of the daily maximum and minimum
readings each day to measure daily and monthly
averages. Some countries have switched to this meth-
od, mainly because of its ease, while others retain their

national standards (averages ofmeasurementsmade at
fixed hours, between 3 and 24 times per day).

All these problems influence series, often in an
abrupt manner (temperatures jumping to a new level
by up to 21C in extreme cases). Ideally, when new sites
or observation protocols are adopted, parallel meas-
urements are recommended, enabling corrections to
be calculated. Sadly, althoughclearly recognizedasbeing
necessary, few countries carry out sufficient overlapping
measurements. The most common problems relate to
locationmoves, particularly to airports in the 1940s and
1950s. Recently, many countries have switched from
mercury-in-glass thermometers to electrical resistance
thermisters, to reduce manpower by automating meas-
urements. The sum total of all these problems can be
disentangled, if adequate station history information is
available, but it is generally a tedious process to locate all
the necessary information. In some countries, it is just
not available in sufficient detail.

Potentially the most important factor with respect
to homogeneity is changes in the environment around
the station. The location may have been a small town
in the nineteenth century, but now it could be a city of
several million. Development around the site (urban-
ization) leads to relative warming of city sites com-
pared to, still rural, neighbors. On certain days,
particularly with anticyclonic weather, cities can be
warmer than rural surroundings by up to 101C. For
monthly averages this reduces to up to 21C, larger for
inland continental, compared to coastal, locations.
Cities which grew rapidly over the twentieth century
tend to be more affected, compared particularly to
European locations where development has taken
place over many centuries.

The sum total of these problems can lead to gradual
warming due to environmental changes and abrupt
changes (both to warmer or colder absolute temper-
atures) for all other problems. Several groups in theUK
and USA have extensively analysed the basic surface
temperature data (between 1000 and 7000 stations),
adjusting the data for the abrupt changes and remov-
ing urban-affected stations, and have reached similar
conclusions about the course of temperature change
over the instrumental period since 1850 (see later). It is
highly unlikely that every problem has been corrected
for, but the different techniques used give confidence
that large-scale changes over the last 150 years are
both real and well documented.

Marine

Terrestrial parts of the world only constitute 30% of
theEarth’s surface, so it is vital ifwe are to gainmore of
a global picture that we also monitor the oceans.
Historical temperature data over marine regions are
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largely derived from in situ measurements of sea
surface temperature (SST) andmarine air temperature
(MAT) taken by ships and buoys. To be of use, each
measurement must be associated with a location. Up
to 15% of marine data is thought to be mislocated
(ships located on the land!) and these values must be
discarded. It is obviously harder to reject data still
located over the ocean, but all analyses of the raw data
also attempt to remove or correct these problems.

Marine data are also beset with homogeneity
problems, but they are distinctly different from the
terrestrial realm. For MAT data the average height of
ships’ decks above the ocean increased during the
twentieth century, but more importantly, daytime
measurements are influenced by the solar heating of
the ship, rendering only the nighttime MAT (NMAT)
data of any value. For SST data, the changes in
sampling method from uninsulated canvas buckets
(generally prior to the early 1940s) to engine intake
measurements (early 1940s onwards) causes an arti-
ficial rise in SST values of 0.3–0.71C.

In combination of marine data with land-based
surface temperatures, SST data are preferred to
NMAT, because they are generally more reliable,
principally as there are at least twice as many
observations, daytime MAT values having been con-
taminated by the ships’ infrastructure. Absolute values
of SST and land air temperatures may differ by up to
101C near some coastlines, so we cannot combine the
two directly. Instead, we use anomalies (departures or
differences from average), assuming that anomalies of
SST and MAT agree on climatological (monthly and
greater) time scales. Correction of the SST data for the
change from canvas buckets is achieved using a
physical–empirical model to estimate the degree of
seawater cooling that occurs in buckets of varying
design. The cooling depends on the ambient weather
condition but this can be approximated by climato-
logical averages. Corrections are greatest in regions
with the largest air–sea temperature differences (i.e.,
winters compared to summers) and the technique
minimizes residual seasonal cycles in pre-WorldWar II
SST values compared to post-1945 values.

Since both the marine and land components are
independent, the two records can be used to assess
each other after they have been separately corrected.
The components have been shown to agree by several
groups on both hemispheric scales but also using
island and coastal data.

Aggregation of the Basic Data

Both the land and marine data are irregularly located
over the Earth’s surface. To overcome the greater

density of data it is necessary to interpolate the data,
generally to some form of regular latitude–longitude
grid.

Land

Differing station elevations and national practices
with regard to the calculation of monthly mean
temperatures means that interpolation to a regular
grid is muchmore easily achieved by converting all the
monthly data to anomalies from a common reference
period. The period with best available data is 1961–
90. The simplest interpolation scheme is the average of
all stations that are located within each 51 � 51 grid
box. More complex interpolation methods yield
essentially the same results on all spatial scales. A
potential drawback of gridding schemes is that the
variance of grid box time series are affected by
changing numbers of stations within each grid box
through time, although it is possible to correct for this.

Marine

For SST the aggregation is approached in a somewhat
different manner. The random location of each obser-
vation means that it is necessary, by interpolation, to
derive a climatology for each 11 � 11 square of the
world’s oceans for each 5 day period (pentad). SST
anomaly values with respect to this climatology are
then averaged together for eachmonth for each 51� 51
grid box, the same as used for the land component.

Combination into One Data Set

Combination of the two components occurs in the
simplest manner. Anomaly values are taken from each
component. When both are available, the two are
weighted by the fraction of land/ocean within each
grid box. Because island and coastal data, in some
regions, are likely to be considerably more reliable
than a few SST observations, no land or marine
component can be less than 25%.

Hemispherical Global Time Series

With the basic data now in 51 latitude–longitude grid
boxes, calculation of large-scale averages is relatively
simple but must take into account the different size of
grid boxes in tropical, compared to polar, latitudes.
This is simply achieved by weighting each grid box by
the cosine of its central latitude value.

Figure 1 shows annual hemispheric and global time
series for the 1861–1999 period. Table 1 gives
monthly linear trend values, estimated by least
squares, for the three domains calculated over the
139-year period and for some other subperiods. For
the global average, surface temperatures have risen by

900 GLOBAL CHANGE / Surface Temperature Trends



0.601C, a value that is statistically significant at the
99.9% level. All the monthly values also exhibit a
significant warming. Warming is marginally greater
over the Southern Hemisphere compared to the
Northern Hemisphere. Warming is least in magnitude
during theNorthernHemisphere summermonths and
may be influenced by the exposure of thermometers
(see earlier) during the 1860s and 1870s. Seasonal
differences in temperature are much more marked in
the Northern Hemisphere (with its greater landmass)
than over the Southern Hemisphere.

Whilst both hemispheres show similar degrees of
warming, it is also apparent that many warm and cool
years, relative to the underlying trend, are in common.

Many anomalous warm years are coincident because
they relate to El Niño years in the eastern equatorial
Pacific. El Niño events cause somewhat predictable
patterns of temperature and precipitation patterns
over the world, with more regions experiencing
warmer than cooler conditions. Polar regions and
much of northern Eurasia are largely unaffected by
such an influence. Cooler than normal years generally
relate to the counterpart of El Niño, La Niña, when
anomalous patterns which, to the first order are
opposite, occur. A few cool years can be related to
the climatic effects of explosive volcanic eruptions,
which are large enough toput considerable amounts of
dust into the stratosphere.Once there, the dust forms a
veil over the Earth, reducing solar radiation and
cooling the surface, particularly land areas. Surface
cooling of about 0.2–0.31C followed the eruption of
Pinatubo in the Philippines in June 1991,mainly in the
northern summer months of 1992 and 1993. Volcanic
eruptions, which only affect the troposphere (e.g., Mt
St Helens in 1980), have little climatic effect as their
ejecta are quickly dispersed by rain making processes.

Both hemispheres show long-term warming, but it
clearly occurs in two phases (1920–44 and since about
1975, see alsoTable 1). Spatial patterns of the changes
will be considered later. For the global average, 12 of
the 14warmest years have occurred between 1986 and
1999. The warmest year of the entire global series was
1998, 0.571C above the 1961–90 average. The next
four warmest years were 1997 (0.43), 1995 (0.39),
1990 (0.35) and 1999 (0.33).

Accuracy of the Hemispheric and Global Series

The series in Figure 1 are subject to three sources of
error: bad measurements, residual effects of the
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Figure 1 Hemispheric and global temperature averages on the

annual time scale (1856–1999 relative to 1961–90). The smooth

curves highlight variations on decadal time scales.

Table 1 Temperature change (1C) explained by the linear trend over four periods

1861–1999 1901–99 1920–44 1975–99

NH SH Globe NH SH Globe NH SH Globe NH SH Globe

Jan 0.68 0.60 0.64 0.65 0.63 0.64 0.26 0.44 0.35 0.65 0.33 0.49

Feb 0.78 0.59 0.68 0.85 0.64 0.75 0.67 0.28 0.47 0.98 0.37 0.68

Mar 0.69 0.60 0.65 0.78 0.69 0.74 0.20 0.31 0.25 0.56 0.48 0.52

Apr 0.56 0.62 0.59 0.71 0.66 0.68 0.40 0.41 0.40 0.56 0.39 0.48

May 0.53 0.70 0.61 0.66 0.76 0.71 0.22 0.56 0.39 0.55 0.41 0.48

Jun 0.35 0.76 0.56 0.57 0.72 0.64 0.19 0.67 0.43 0.62 0.42 0.52

Jul 0.33 0.63 0.48 0.53 0.72 0.62 0.26 0.71 0.48 0.63 0.43 0.53

Aug 0.44 0.61 0.53 0.53 0.70 0.62 0.35 0.45 0.40 0.63 0.41 0.52

Sep 0.44 0.58 0.51 0.52 0.69 0.60 0.52 0.28 0.40 0.43 0.37 0.40

Oct 0.66 0.64 0.65 0.55 0.69 0.62 0.64 0.36 0.50 0.69 0.42 0.56

Nov 0.77 0.62 0.69 0.62 0.70 0.66 0.49 0.18 0.33 0.43 0.33 0.38

Dec 0.74 0.62 0.68 0.81 0.61 0.71 0.56 0.32 0.44 0.71 0.25 0.48

Year 0.58 0.63 0.60 0.65 0.68 0.67 0.40 0.41 0.40 0.62 0.39 0.50

NH, Northern Hemisphere; SH, Southern Hemisphere.
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homogeneity checks due to urbanization and the
bucket corrections over the ocean, and most impor-
tantly, due to changes in the availability and density of
the rawdata, through time. The latter are referred to in

statistical terms as sampling errors. Taking them
into account and allowing for the areas always
missing from the grid-box analyses (see later gaps
in coverage in Figures 2 and 3) indicates that
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annual hemispheric averages are now accurate to
within 70.051C (one standard error). Errors in the
mid-nineteenth century were roughly twice modem
values.

Analyses of the Temperature Record

The surface record has been extensively analysed, pri-
ncipally over the past 25 years. The series in Figure 1
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have become one of the foremost series in major
international reviews of the climate change issue,most
recently by the Intergovernmental Panel on Climate
Change (IPCC). Here several diverse aspects of the
record are analysed:

� patterns of recent change
� trends in areas affected by monthly extremes
� trends in maximum and minimum temperature
� daily extremes of temperature in some long Euro-
pean series

� the last 150 years in the context of the last 1000
years.

Figure 1 clearly shows recent warming since the
late 1970s. Thiswarming has been called into question
by satellite data, which measure the average temper-
ature of the lower troposphere. The satellite record
shows only a very small statistically insignificant
warming, whereas the surface temperature has
risen by about 0.151C per decade since 1979. The
warming at the surface is, however, not doubted. The
agreement between the marine and terrestrial compo-
nents and the widespread retreat of Alpine glaciers
around the world are pervasive arguments. We would
expect, however, that the lower troposphere should
also be warming in as strong a fashion as the sur-
face and it is casting doubt on our ability to under-
stand and model atmospheric processes and their
response.

Patterns of Recent Change

Spatial patterns of change are shown in Figures 2 and 3
for the two 25-year periods that show the strongest
warming of the twentieth century (1920–44 and
1975–99). Patterns are shown seasonally and for the
annual average. Even for the most recent period,
coverage is not complete,withmissing areas overmost
of the southern mid-to-high latitude oceans, parts of
the Antarctic and central Arctic, and some continental
interiors. Available data for the 1920–44 period,
however, only enable patterns to be shown for about
half the Earth’s surface compared with about three-
quarters now. Both periods exhibit strong and highly
significant warming in the hemispheric averages, but
statistical significance is only achieved in relatively
few areas on a local basis. More areas achieve
significance in the recent period, but this is no more
than would be expected, given the greater areas with
data and the strongerwarming (seeTable 1).Warming
is not spread evenly across the seasons, although
annually most regions indicate warming. The warm-
ing patterns of the two periods show different patterns
suggestive of the fact that they might be related to
different combinations of causes.

Trends in Areas Affected by Monthly Extremes

The previous section has clearly shown the effects
differences in temporal variability have on the estima-
tion of trends. Warming in Siberia may be large, but it
is barely significant because of the large year-to-year
variability. Trends in some tropical oceanic areas
indicate highly statistically significant warming, but it
may only be about 0.3–0.51C. To enable easier
intercomparison of trends and extremes, from a local
impact point of view, removing the effects of year-to-
year variability highlights where significant changes
are occurring. An appropriate transformation is the
gamma distribution. Each grid-box time series, on a
monthly basis, is transformed from one in anomalies
with respect to 1961–90 to percentiles based on the
same period. Percentiles can be easily related to return
periods (e.g., the 5/95th percentile is equivalent to the
1 in 20 year return period). Using a normal distribu-
tion (i.e., simply dividing the grid box anomaly series
by the standard deviation calculated over the 1961–90
period) works almost as well as the gamma distribu-
tion, but the latter is better in many regions of the
world as monthly temperatures are often significantly
negatively skewed.

Figure 4 compares the anomaly and percentile
method for displaying annual temperatures for 1999.
The zero anomaly and the 50th percentile contour are
essentially the same in both plots. The percentile map,
however, indicates extremely warm annual tempera-
tures over many tropical and oceanic regions that
might not warrant a second glance in anomaly form.
1999 shows 36% of the world’s surface with data
above the 90th percentile and 6% below the 10th
percentile. How unusual is this, compared to other
years? Figure 5 shows the percentage of the world’s
surface with data with temperatures greater than the
90th and less than the 10th percentile since 1900. An
increase in the percentage of the analysed area with
warm extremes is evident (the largest area being 56%
in the warmest year, 1998), but by far the greatest
change is a reduction in the percentage of the analysed
area with cold extremes. Some caution should be
exercised when interpreting these results because of
the large changes in coverage, particularly before 1951
(as seen in Figure 2). The implicit assumption being
made is that the average of the unsampled regions is
the same as the average of the sampled regions.
Coverage changes since 1951 are minimal, though,
and even analysing only those regionswith data for the
1900–20 period produces similar series to those seen
in Figure 5. The implications of these series are that
before the mid-1970s most of the warming during the
twentieth century was more apparent through less
cold annual averages than excessively warm ones.
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Over the last 25 years, regions experiencing verywarm
annual anomalies have begun to increase dramatically.

Trends in Maximum and Minimum Temperatures

Up to now, all the surface temperature analyses have
been based on monthly mean temperatures. This

situation has arisen due to the widespread availability
of this variable.Asmentioned earlier, English speaking
countries have tended to measure daily and monthly
means using maximum and minimum temperatures.
Extensive data sets of monthly-mean maximum and
minimum temperature have become available since
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Figure4 Surface temperatures for 1999, relative to the 1961–90average (A) as percentiles and (B) as anomalies. The percentileswere

defined by fitting gammadistributions to the 1961–90 annual deviations relative to the 1961–90base period, for all 51 � 51 grid boxeswith
at least 21 years of annual data in this period.
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the 1950s. These enable recent warming patterns to be
assessed for both day (maximum) and night (mini-
mum) temperature. The difference between day and
night (the diurnal temperature range, DTR) should
prove a useful variable when considering what the
causes of changes might be.

Homogeneity of the series poses more severe prob-
lems than for mean temperatures, as the various
factors discussed earlier generally cause differential
effects in the maximum and minimum series and
station history information is even more important to
decide uponadjustments.Analyses are restricted to the
period 1950–93 because of data availability issues
in many regions of the world. Figure 6 shows trends
over these 44 years for maximum and minimum
temperatures and the DTR. Minimum temperatures
decrease in only a few areas, while maximums show
decreases over large areas, notably eastern Canada,
southern USA, parts of Europe, and much of China
and Japan. The DTR shows decreases almost every-
where except in Arctic Canada and some Pacific
islands.

Combining all regions, ‘global’ minimum averages
warmed by 0.791C over 1950–93, while maximums
warmed by only 0.361C. The DTR decreased by
0.351C. Urbanization influences have been shown to
have the same signature (warmer nights compared to
days) so these studies have restricted analyses to
nonurban stations. In most regions, these differential
trends can be clearly related to increases in cloudiness
which will raise nighttime, compared to daytime,
temperatures. Longer records, back to the beginning
of the twentieth century, are available in a few limited
regions. Analyses over the USA and southern Canada,
for example, show little change over the first half of the
twentieth century.

Daily Temperature Extremes in Long European
Series

The last two sections have considered extremes on a
monthly basis, but public perception of climate change
is often considered by daily extremes or runs of warm/
cold days. In the context of the global warming issue,
daily data are relatively unimportant as detection and
attribution of human influences is primarily concerned
with underlying trends on decadal time scales. In the
public and political worlds, though, changing fre-
quencies of daily extremes are howmuch of the global
warming debate is perceived.

Daily temperature series present even greater prob-
lems to climatologists with respect to homogeneity
than monthly data. Site and observation time changes
are particularly important and in some cases itmaynot
be possible to fully correct for all the problems. Few
long daily temperature series, therefore, are totally
homogeneous. Furthermore the availability of long
series is often restricted to the last 50 years. Changes in
the frequency of extremes may be occurring, but
without long series it is difficult to judge whether
recent changes are really unprecedented. In Europe,
however, several 2001 year series have recently been
developed, which will be ideal for analysis.

The public perception of extremes is clearly cold
winter and hot summer days, but in different regions it
is necessary to define somewhat arbitrarily what is
meant by cold and hot. A cold day threshold of 01C
clearly has important consequences but what is hot in
northern Europe clearly differs from what would be
regarded as hot in southern Europe. Also, considering
only absolute extremes ignores changes that might be
taking place in the transition seasons. A better and
universally applicablemeans of defining extremes is to
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Figure 5 Percentage of the monitored area of the globe, for each year from 1900 to 1999, with annual surface temperatures above the
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let the data define the thresholds and to allow these to
change during the year.

The first step is an analysis to define the annual cycle
of temperature on a daily basis, based on a common
period such as 1961–90. Some smoothing of this cycle
is necessary as 30 years is a relatively short period for
definition. 1961–90 is chosen for compatibility with
the other analyses in this section. Variability of a single
day’s temperatures from the annual cycle shows
greater variability in Europe during winter compared
to summer. Also, most station data series throughout
the year, but particularly in winter, tends to be
negatively skewed, so a normal distribution would
be inappopriate as this would give a bias to the cold
day count. Instead, it is necessary to fit a gamma
distribution to the daily anomalies for each day of the
year, again using the 30 1961–90 days for each day.
Now it is a simple matter to count the number of days
above the 90/95th (warm/very warm) and below the
10/5th (cold/very cold) percentiles in a calendar year
or in a season.

Figure 7 shows counts of warm/cold days for some
of the long European series (Central England, Stock-

holm, Uppsala, St Petersburg, Brussels, Milan, Padua,
and Cadiz) available. Although there are differences
between the stations in the timings of change, the
overall picture is of an increase in warm days in the
second half of the twentieth century, but the largest
trend is a reduction in the number of cold days. Recent
increases in warm days at the sites with longer records
have only just exceeded similar counts in some decades
of the eighteenth century. Cold day counts, in contrast,
are clearly lower than at anyperiod in the long records.
The analysismethod is insensitive to the choice of base
period, another choice producing similar trends but
centered around a different base.

All the last three sections consider extremes in
different ways, but all show similar conclusions. Until
1975, the warming of the twentieth century is mostly
manifest, not by increases in warm extremes, but by
reduction in cold extremes. Cold extremes often pass
by unnoticed by the majority, except in sectors where
they are important. Pesticide use is much greater in
some regions because insect-killing frosts are less
severe, skiing seasons are often shorter and expected
freeze-up periods of some major rivers are reduced.
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The Last 150 Years in the Context of the Last 1000
Years

Global average surface temperature has clearly risen
over the last 150 years (Figure 1), butwhat significance
does this have when compared to changes over longer
periods of time? The last millennium is the period for
which we knowmost about the pre-instrumental past,
particularly spatially, but it must be remembered that
such knowledge is considerably poorer than since 1850.
The millennium, particularly the last 500 years, is also
the most important when considering attribution of
recent changes to human influences. Earlier millennia
are also important, but they are known to have
experienced longer timescale changes in solar irradiance
caused by orbital changes (the Milankovitch effect),
bringing, for example, higher irradiance in summer to
northern high latitudes around 9000 years ago.

Information about the past millennium comes from a
variety of high-frequency and low-frequency proxy
sources. High-frequency sources, giving information on
the annual time scale include early instrumental records
(back to the late seventeenth century in Europe),written
historical documents (mainly Europe and the Far East),
tree-ring densities and widths (mid-to-high latitudes of
both hemispheres), ice cores (both polar ice caps and
also high-elevation tropical and smaller polar latitude
ice caps), corals (tropical), and some highly resolved
lake and marine sediments. Low-frequency (decadal to
century time scale change) evidence comes from bore-
holes, glacial advances/retreats, and peat, lake, and
marine cores. All these sources are discussed in other
sections. Uncertainties in all proxy information is
considerable, both because evidence is restricted to

where these written and natural archives survive, and
more importantly, all proxy records are only imperfect
records of past temperature change.

The last decade has seen a dramatic improvement in
both availability of past evidence and also in information
from diverse regions and sources. Figure 8 compares
several different reconstructions ofNorthernHemisphere
temperature change for most of the last millennium. The
reconstructions are of different seasons, so, based on the
instrumental record, would be expected to differ some-
what. None of the series are strictly independent of each
other, as they contain somecommonsources,but eachhas
made different assumptions in their averaging.

The most striking feature of the multiproxy aver-
ages is the warming over the twentieth century, both
for its magnitude and duration. Agreement with the
instrumental record should be taken as read, as all the
components of the series have, to some extent, been
calibrated against instrumental data, either locally or
as a whole. The twentieth century was the warmest of
the millennium and the warming during it unprece-
dented. It is clear that the 1990s was the warmest
decade and 1998 the warmest year. The coldest year is
likely to have been 1601, about 11C below the 1961–
90 average, although this is considerably more uncer-
tain than the warmth of 1998. If standard errors are
assigned to these series, as was the case for the
instrumental period, errors would be considerably
larger and it is probably prudent to only consider
changes on decadal-to-century time scales.

Earlier studies, using considerably fewer proxy data
sets, have considered the past millennium and two
periods, the Little Ice Age (variously defined as AD
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1450–1850) and the Medieval Warm Epoch (less well
defined in the literature, but AD 900–1200 encompass-
es most earlier work), are often discussed. To some
extent, these two periods have become accepted
wisdom but the various curves in Figure 8 indicate
only partial support. Spatial analysis of the proxy data
shows that no periods in the millennium were univer-
sally colder or warmer everywhere, considerable
variability being present. The latter is to be expected
even by studying the instrumental period since 1850.
Just as the early 1940s werewarm inmany parts of the
world, Europe was cold. The early seventeenth centu-
ry was cool in many regions, but was relatively mild in
Iceland. Inmany respects, therefore, paleoclimatology
is in the process of reassessing the evidence for these
past periods and further changes are in prospect as
more evidence becomes available.

The various series in Figure 8 differ in some respects
with regard to the coldest and warmest periods of the
millennium, but they are all based on analysis of orders
ofmagnitudemore data thanwas available in the early
1970s.The cooler centuries of themillenniumwere the
sixteenth to the nineteenth, the seventeenth being the
coldest in Europe and the nineteenth the coldest in
North America. These regions are still the best studied
and itwill be vital in future to extend our knowledge to
other areas, particularly in the Southern Hemisphere.
At present, for every one long Southern Hemisphere
record there are probably 20 in the Northern Hemi-
sphere. Just as with the instrumental record, it is
important to gain as much evidence from as many
regions as possible if we are to fully understand how
global and hemispheric temperature has varied over
this long time. Contrasts in the timing of changes
between regions, and particularly between the hemi-
spheres, must be recognized if we are to fully under-
stand the causes of the changes. A more complete
understanding of the causes of the changes will allow
us to determine how much climate can change
naturally, enabling us to better distinguish the degree
of human influence on surface temperature during the
twentieth century.

See also

Air–Sea Interaction: Sea Surface Temperature. Cou-
pled Ocean–Atmosphere Models. Energy Balance
Model, Surface. Global Change: Human Impact of
Climate Change; Ozone Trends; Upper Atmospheric
Change. Paleoclimatology: Ice Cores; Varves.
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Introduction

The composition of the Earth’s atmosphere has
changed considerably over geological time but very

little is known about how the upper atmosphere and
solar–terrestrial interactions responded to these
changes. Indeed, it is only since the dawn of the space
age that information on the structure of the upper
atmosphere and its response to solar–terrestrial influ-
ences havebeenmeasured. Since the space agebegan in
the 1950s, this does not leave a long record for
determining the sensitivity of the upper atmosphere to
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changes driven by recently observed variations in
composition. However, certain measurements and
model calculations have made it increasingly clear
that releases of trace gases from human activity have a
potential for causing a change in the present-day
climate of the Earth.Most discussions of the projected
change during the past decade have dealt with changes
in the Earth’s troposphere and stratosphere. There
have been many papers written on the subject and
several assessment panels have issued reports that
indicate that the troposphere will warm and the
stratosphere will cool in response to a doubling of
the present-day composition of several trace gases,
such as carbon dioxide and methane, toward the end
of the twenty-first century. Yet not much is known
about how the upper atmosphere will respond to these
influences. Therefore, the following is based primarily
on theoretical considerations and model simulations
that await verification by adequate trend measure-
ments of the upper atmosphere properties. The few
available observations, however, have suggested that
the mesosphere and thermosphere/ionosphere are
experiencing a cooling trendover the past fewdecades.

Trace Gas Influences on the
Troposphere and Stratosphere

The amounts of certain trace gases in the atmosphere,
such as carbon dioxide (CO2),methane (CH4), nitrous
oxide (N2O), chlorofluorocarbons (CFCs) and tropo-
spheric ozone (O3) have been increasing during the
past few decades. These gases are mainly transparent
to incoming short-wave solar radiation but they
absorb and emit long-wave IR radiation and thus are
able to influence the Earth’s climate. These gases are
generally referred to as ‘greenhouse gases’. Various
projections, based on past and current trends of the
rate of emission of these gases, suggest that the
present-day concentration of several of these species
will double by the end of the twenty-first century.

Most studies dealing with the consequences of the
increasing greenhouse gases have been concernedwith
the troposphere and the stratosphere. These studies
suggest that the global mean temperature of the
troposphere will increase by 1–5K and the strato-
sphere will cool by about 10–20K in response to a
doubling of present day CO2 concentrations and
various increases in other greenhouse gases. The
predictions are based primarily on radiative consider-
ations and there is still considerable uncertainty
as to the magnitude of the global response because
of uncertainties in cloud feedback, aerosols, and
dynamics.

Numerical model studies of the stratospheric re-
sponse have shown that the combined effects of
projected trace gas increases to the end of the
twenty-first century will result in major changes to
both the ozone and temperature distributions.Figure 1
shows the results of one such model calculation. For a
doubling of the CO2 concentration alone, the calcu-
lated stratopause temperature decreases 10–15K. But
when chemical feedback is included the concentration
of ozone will increase because certain temperature-
dependent chemical rate coefficients are slower at
lower temperature. This results in less ozone destruc-
tion. Higher ozone concentrations will absorb more
solar radiation and thus partially offset the cold
temperatures calculated by CO2 cooling alone thus
producing a temperature healing. When the chloro-
fluorocarbon concentration increases, say from 2.0 to
6.6 ppbv, the ozone in the upper stratosphere decreas-
es about 30–50% and the temperature decreases
10–15K. The combined effect of both the CO2

doubling and the CFC increases is shown in Figure 1
where the stratopause temperature is seen to decrease
15–25K and ozone in the lower mesosphere to
increase by 10% due to the healing effect but to
decrease by 10–30% in the upper stratosphere because
of catalytic destruction of ozone caused by CFCs.
These results suggest that significant stratospheric
change should occur as a result of increased trace gases
from present-day levels. CO2 increases lead to lower
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temperatures in the middle and upper stratosphere
because of increased emission in the infrared radiation
to space. In addition, ozone depletions in the middle
and upper stratosphere above about 30 km lead to less
absorption of ultraviolet radiation, and thereby to less
solar heating and enhanced cooling. As a result of the
combined effect, the stratosphere is projected to cool
significantly.

Trace Gas Influences on the
Mesosphere and Thermosphere

There have been a few studies to investigate how the
atmosphere above the stratopause might respond to
the global change expected to occur in the troposphere
and stratosphere. These studies suggest that global
change effects are not confined entirely to the lower
atmosphere but that significant changes can extend
further into the upper atmosphere, affecting the
mesosphere, thermosphere, and ionosphere. For a
doubling of present-day concentrations of CO2 and
CH4 mixing ratios, which is expected to occur by the
end of the twenty-first century, the global mean
temperature of the mesosphere is projected to cool
by 10K and that of the thermosphere to cool by
50–100K from present-day conditions. The predicted
sensitivity of the mesosphere and thermosphere to
variations ofCO2 andCH4 is shown inFigure 2,where
temperature departures from the present-day globally
averaged temperature structure are shown for a
doubling of present-day CO2 concentrations, which
should occur by the endof the twenty-first century, and
the halving of present-day CO2 concentrations that
occurred at the end of the last ice age about 18 000
years ago. These predictions indicate a slow response
to trace gas increases, yet the few available observa-
tion during the past decade indicate that the meso-
sphere and thermosphere are cooling much more
rapidly than suggested by the trace gas predictions,
indicating that other factors are involved in the upper
atmosphere that are not accounted for in present-day
model simulations.

The atmosphere expands as it is heated and
contracts as it cools. Therefore, the troposphere
should expand slightly as it is warmed by a few
degrees, but the upper atmosphere should contract
much more because of the greater cooling. As a result,
the density at a given height in the upper atmosphere
should decrease. The sensitivity of the upper atmos-
phere density to a halving and doubling of the CO2

concentrations from present-day concentrations is
also shown in Figure 2. The calculations suggest that
at a given height in the upper thermosphere densities
were 40–50% larger at the end of the last ice age and

should be 40–50% smaller by the end of the twenty-
first century for similar solar and auroral forcings. The
decrease shown could occur at the end of the twenty-
first century and so the density variations could be
occurring slowly at the present time. However, recent
observations of the decay in the orbits of satellites
indicate that the decadal trends in atmospheric drag
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are occurring faster than model predictions that
include only CO2 doublings. There appears to be
missing physics or chemistry in current models if the
observations that suggest the current observed rate of
atmospheric cooling are correct.

In addition to the changes in the major constituents
of the mesosphere and thermosphere, there are signif-
icant variations that occur in the concentrations of
minor neutral gas constituents such as O3, H2O, OH,
HO2, CO, NO, NO2, N(4S), and others. The minor
species change because many of the chemical rate
constants for these species are highly temperature-
sensitive and turbulent diffusion and advective trans-
port, which determine their vertical distributions,
depend on the vertical temperature structure. The
results show that for a doubling ofCO2 andCH4,NO,
and O3 could decrease in the thermosphere and H2O,
N(4S), CO, and H could increase. A doubling of the
present-day methane concentration could also in-
crease the H2O and with colder mesopause tempera-
tures could result in an increase in noctilucent clouds.
An increase in tropospheric methane of about 1 ppmv
could cause an increase in exospheric hydrogen
by about 30% with a corresponding increase in the
total density in the hydrogen-dominated part of the
exosphere.

A change in these species and temperature structure
could also have an effect on the ion composition of the
D-, E-, and F-ionospheric regions. Even though the
atmospheric models that predict these global mean
changes are quite sophisticated, there are still many
uncertainties concerning the chemistry, reaction rates,
and various atmospheric processes, such as turbulence
and atmospheric transport by gravity and planetary
waves, that suggest caution in evaluating the magni-
tude of the predicted changes in chemical structure
that respond to atmospheric cooling.

In addition to the changes in thermal and composit-
ional structure on a global mean basis, there are also
variations in the latitudinal distribution of heat and
momentum sources that alter the mean meridional and
global circulation patterns frompresent-day conditions.

Predicted Changes in Ionospheric
Structure

The predictions of change in the neutral upper
atmosphere could also cause changes in the iono-
sphere. The thermospheric cooling and associated
composition changes could lower the E-layer and
F2-layer peaks in the ionosphere by about 2 km and
20km, respectively.However, the predicted changes in
the E-layer and F2-layer electron densities should be
small. Changes in the ‘maximumusable frequency’ for

radio propagation should also be small for the trace
gas doubling scenario. These changes are consistent
with a lowering of the ionosphere as the neutral
atmosphere contracts from ‘greenhouse cooling’.

There is an important need to continue model
development using coupled models of the Earth’s
atmosphere, ionosphere, and magnetosphere to eval-
uate the entire atmospheric readjustment to global
change induced by human activity.

Do Observations Support the
Predictions of Global Change?

In addition to the modeling studies mentioned above,
there have been various investigations that suggest
that a change in the composition and temperature
structure of the upper atmosphere has been taking
place in the past few decades. The overall trend in
upper atmosphere response is not clear at the present
time but a brief summary of some of the observational
studies is given below:

� Radiosonde and satellite observations indicate a
decadal cooling trend of the global, annual-mean
lower stratosphere since about 1980. Over the
period 1979 to 1994, its amplitude is approximately
0.6K/decade in the 15–20 km altitude range.

� The vertical profile of the annual-mean stratos-
pheric temperature change observed in the North-
ern Hemisphere for the 1979–1994 period consists
of an approximately 0.75 K/decade cooling of the
15–35 km region, a slight reduction in the cooling at
about 35 km, and increased cooling with height
above 35 km (approximately 2 K/decade at 50 km).

� In the upper stratosphere and mesosphere, rocket
observations made at various Russian and other
stations indicate a few degrees of cooling in the
30–40 km region, increasing to 20K cooling in the
mesosphere near 60–70 km.These changes are not
only occurring at high latitudes but penetrate to low
and equatorial latitudes.

� In the middle and upper atmosphere, both the
greenhouse gas increases and observed ozone
changes contribute to the cooling. Atmospheric
models are currently being used to investigate the
observed decadal trends.

� Lidar observations of the height of the atmospheric
sodium layer near 90 km suggest that the height of
the sodium layer has decreased during the past
decade, indicating that the mesosphere temperature
has cooled over the same period.

� Observations have suggested that the trend in
increasing atmospheric methane has the potential
for increasing the water vapor concentration in the
middle atmosphere and contributes to an increase in
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noctilucent cloud formation in the high-latitude
summer mesopause region near 82 km. It is well
known that water vapor is an important product of
methane oxidation in the stratosphere and thus the
increasing methane concentration may be respons-
ible for an increase in the number of sightings of
noctilucent clouds in recent years. An observed
secular increase over the last few decades may,
in part, be caused by increasing concentrations
of water vapor and colder temperatures in the
mesopause region.

� Lidar measurements over the south of France have
indicated a secular change in temperature over the
33–87 km altitude range. A �4 K/decade temper-
ature trend in the 60–70 km altitude region between
the years 1978 and 1989 has been observed.
Ground-based lidar data and satellite temperature
data have found a change in mesospheric tempera-
tures with a trend of �0.10 to �0.14K per year
during the 1980–1990 period. These measurements
also indicated a solar cycle variability that must be
considered when evaluating secular trends.

� Observations have shown that the solar cycle var-
iation of stratospheric ozone over the 1979–1999
period is about 5% near 40 km altitude. The
observed trend in ozone over this period is mono-
tonically decreasing with a 6–8% per decade
change.

� Predicted changes in the atmospheric vertical struc-
ture that should occur as a result of a doubling of
trace gas concentrations could have a significant
effect on the gravitational and thermal tides that are
excited in the atmosphere. In particular, the effects
in the middle atmosphere may be significant.

� An increase in tropospheric methane of 1 ppmv
could cause an increase in exospheric hydrogen
number density of 30%. Since atomic hydrogen is
the dominant species in the exosphere, this suggests
that the total exospheric density is sensitive to global
change. The increase in exospheric hydrogen could
have important consequences on the plasma density
of the magnetosphere, plasma exchange between
the magnetosphere and ionosphere, and perhaps
solar–terrestrial plasma coupling processes.

� Perhaps the largest uncertainty in the energetics of
the upper mesosphere and lower thermosphere is
the magnitude of the rate coefficient for deactiva-
tion of the bending mode of carbon dioxide by
atomic oxygen. There has been considerable uncer-
tainty in the rate of this coefficient, ranging
from 2� 10�13 in early investigations to a value
of 6� 10� 12 cm3 s�1 in more recent analyses of
satellite data. This coefficient influences the predic-
tions of upper atmospheric response to global
change.

� Recent laboratory and satellite data have indicated
that certain crucial rate coefficients important for
the energy balance of the upper atmosphere have
changed considerably, suggesting that the overall
aeronomy of the upper atmosphere is still not
sufficiently known. The photodissociation coeffi-
cient for nitric oxide and the O–NO vibration
deactivation rate coefficient have changed recently,
which, along with the uncertainty of the CO2–O
rate coefficient,makes accurate predictions of upper
atmosphere global change difficult at least until
these aeronomical issues are resolved.

Future Studies

The studies described have been motivated by the
realization that global change is not confined only to
the lower atmosphere but that the consequences of
man’s activities may be more global and extend into
the upper atmosphere and even affect plasma pro-
cesses that couple the solar wind into the Earth’s upper
atmosphere. Indeed, the application of current, well-
tested models of the upper atmosphere suggests that
significant changes to the present-day structure of the
atmosphere above about 50kmwill occur by themiddle
of the twenty-first century. The studies conducted thus
farareonly suggestiveofpossible changesand there is an
important need for further investigations and long-term
measurements to detect natural and anthropogenic
trends into the twenty-first century.

Studies of the possible effect of global change on the
upper atmosphere are in their infancy and a number of
important questions emerge:

� Will gravity wave, tidal, and planetary wave prop-
agation characteristics change in response to an
altered atmospheric structure?

� How will energy, mass and momentum exchange
rates between atmospheric regions change in re-
sponse to increased CO2 cooling and a contracted
upper atmosphere?

� Will present-day solar–terrestrial couplings be al-
tered by changed upper atmosphere and ionosphere
structures?

� Will new upper atmosphere chemical and physical
processes become important as a result of an altered
atmospheric structure (for example, heterogeneous
chemistry was found to be important for under-
standing changes in the Antarctic ozone hole)?

� Will an altered upper atmosphere structure have
important feedback on the troposphere andweather
systems?

� Will present-day technological systems have to be
redesigned to adapt to a changed upper atmosphere
environment?
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These are only a fewof themanyquestions that emerge
from the realization that the present-day upper
atmospheric structure may be changing.

See also
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Solar Terrestrial Interactions.
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Introduction

Evaporation of rain within a thunderstorm produces a
ground-based pool of cold air that spreads under its
own weight and thereby generates gusty surface
winds. The leading edge of the spreading cold pool is
therefore knownas the ‘gust front’. The gust front is an
example of a ‘density current’ (seeDensityCurrents), a
phenomenon that occurs in a great variety of geo-
physical and engineering applications. As a character-
istic feature of thunderstorms, the gust front plays a
role in other aspects of thunderstorms, such as storm
cell redevelopment (see Severe Storms).

The basic phenomenon of cold air spreading
beneath a thunderstorm has been recognized in
writing since the early nineteenth century. However,
the term ‘gust front’ started to appear in the literature
only in the early 1960s. Before that time the phenom-
enon was variously referred to as the pressure jump
line, squall front, micro cold front, or outflow bound-
ary, among other designations; the latter two are still
used frequently.

Physics

Evaporation of Rain

Choosing the simplest case to illustrate the basic
physics, imagine a vertically erect thunderstorm with
rain falling through it (Figure 1); since the air beneath
the thunderstorm is subsaturated, rain falling into it
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may evaporate and thereby cool the subcloud layer.
Considering an isobaric process in which the rain
evaporates until the subcloud layer is saturated, the
first law of thermodynamics gives eqn [1].

Tf � Ti ¼ � L

cp
½qvsðTfÞ � qvi� ½1�

Here Ti and qvi are the initial temperature and water
vapor mixing ratio (mass of water vapor per unit mass
of dry air) of the subcloud layer, respectively, Tf is
final temperature at saturation, and qvs is the satura-
tion mixing ratio; the latent heat of vaporization
L ¼ 2:5�106 J kg�1 and cp ¼ 1006 J kg�1 K�1 is the
heat capacity for dry air at constant pressure (the effect
of water vapor on the heat capacity has been ignored).
The saturationmixing ratio is related to the pressure p
and saturation vapor pressure evðTÞ through eqn [2].

qvs ¼ Rd

Rv

ev
p� ev

� e
ev
p

½2�

Here e � Rd=Rv, and Rd ¼ 287 J kg�1 K�1 and Rv ¼
462 J kg�1 K�1 are the gas constants for dry air and
water vapor, respectively. To obtain an explicit for-
mula for Tf, one can expand qvs in a Taylor series as in
eqn [3].

qvsðTÞ ’ qvsðTiÞ þ dqvs
dT

����
T¼Ti

ðT � TiÞ ½3�

Using the second part of eqn [2] to calculate the
derivative in eqn [3], and then substituting for dev=dT

from the Clausius–Clapeyron equation, yields eqn [4]
where RHi is the initial subcloud relative humidity.

Tf � Ti ¼ �ðL=cpÞqvsðTiÞð1� RHiÞ
1þ L

cp

LqvsðTiÞ
RvT2

i

½4�

With typical subcloud values of p ¼ 900 hPa, Ti ¼
293K, and RHi ¼ 0:7, eqn [4] gives Tf � Ti �
�3:5K.While this is not untypical of observed values,
Tf � Ti � �10K can be obtained in situations more
complex than that depicted inFigure 1. For example, if
drier mid-level air is entrained into the thunderstorm,
RHi in eqn [4] can be much smaller, and so Tf � Ti

much lower. In any case, the basic idea expressed in
eqn [4] is the same: Evaporation of rain produces
colder temperatures at low altitude in a thunderstorm.

Generation of Motion

Fluid motion is governed by Newton’s second law,
expressed as in eqn [5], where u is the velocity, p the
pressure, and r the density of the fluid mixture of dry
air andwater substance;�rg is the external body force
(per unit volume) due to the Earth’s gravity, and d=dt is
the substantial derivative.

du

dt
¼ � 1

r
rp� g ½5�

Since we are dealing with a fluid mixture of compress-
ible gas and liquid, we begin our development by
recasting the first termon the r.h.s. of eqn [5] as eqn [6].

� 1

r
rp ¼ �cp y

1þ e�1qv
1þ qv þ ql

rp

� �cpy½1þ 0:61qv � ql� rp ½6�
Here p ¼ ðp=p00ÞRd=cp (p00 is a reference pressure), the
potential temperature y ¼ Tp�2, and ql is the mixing
ratio of liquid water; the perfect gas law p ¼ rdRdT þ
rvRvT and the fact that r ¼ rd þ rv þ rl have been
used. The second part of eqn [6] is an approximation
based on the typical smallness of the water substance
mixing ratios.

For clarity of exposition, imagine that the subcloud
air shown in Figure 1 is initially motionless, although
rain has fallen into it; the gust front originates with the
circulation Cð¼ Hu . dlÞ created around the circuit
shown. From eqns [5] and [6] one can derive equation
[7] for C

dC

dt
¼
I

�cpy½1þ 0:61qv � ql� dp ½7�

Considering as a reference a rain-free ðql0 ¼ 0Þ
atmosphere with constant yv0 ð¼ y0 þ 0:61qv0Þ in

z

x

Figure 1 Schematic diagram of a rain shaft below a thunder-

storm. Evaporative cooling and weight of rain produce negative

buoyancy and hence negative circulation C on the circuit shown

(adopting the convention that the line element l on the circuit points

in the clockwise direction.)
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hydrostatic balance ðdp0=dz ¼ �g=cpyv0Þ, and ex-
pressing the dependent variables as the reference state
value plus a small deviation, eqn [7] may be approx-
imated as eqn [8].

dC

dt
’
I

g
y0

y0
þ 0:61q0

v � q0
l

� �
dz ½8�

The prime denotes the deviation from the reference
state, and terms involving products of water substance
mixing ratios have been neglected. The integrand of
eqn [8] is the buoyancy and is composedof three terms:
The first term is the thermal buoyancy, which in the
case under discussion is negative since y0 � T 0p�1

0 and,
as previously demonstrated, evaporative cooling pro-
duces T 0o0. The second term represents the contri-
bution to buoyancy by the presence of water vapor
which, being lighter than air, increases the buoyancy
when qv

0 > 0 (as it is in the present case). (Negative
thermal buoyancy produced by evaporation of rain is
numerically much greater than the offsetting effect on
positive buoyancy of the accompanying increase in
water vapor.) The third term represents the downward
force that liquid water exerts on the air in which it
resides. Although the negative buoyancy associated
with rainwater loading can be significant (e.g., the
negative buoyancy associated with ql ¼ 10 g kg�1 is
approximately equivalent to that associated with
y0 � �3KÞ, inmost cases thermal buoyancydominates.

The foregoing is simply a precise way of saying that
cold, rainy air sinks and spreads out along the ground.
Understanding exactly how it does so requires a model.

Models of Motion

The simplest model is to consider the initial volume of
cold air as a rectangle (with unit breadth into the page)
that retains its rectangular shape as it spreads. The
model predicts that at late time the front speed
decreases as t�1=3, while the height decreases as
t�2=3. However, observations (Figure 2) indicate that
outflows from thunderstorms move with roughly
constant speed and height.

A more sophisticated model can be obtained by
considering the atmosphere as composed of two fluid
layers of different potential temperature, and using the
hydrostatic approximation throughout (see Density
Currents). With these assumptions, and restricting
attention to motion in the x� z plane, the full x-
momentum equation [5] may be reduced to the so-
called shallow-water momentum equation (eqn [9]).

qtuþ u qxuþ g0 qxh ¼ 0 ½9�
The equation expressing conservation of mass

becomes eqn [10], where h and u are, respectively,
the depth and horizontal speed of the cold air with

potential temperature y0 spreading into an environ-
ment with y ¼ y1; g0 � gy�1

0 ðy1 � y0Þ is the reduced
gravity.

qthþ u qxhþ h qxu ¼ 0 ½10�
Using the method of characteristics, the solution of

eqns [9] and [10] for the so-called ‘dam-break’
problem was obtained in the nineteenth century and
is depicted in Figure 3A. These solutions are charac-
terized by a wave of depression moving into the initial
reservoir and a constant-speed outflow with depth
falling to zero. Observations and laboratory tests of
the model predictions failed to show the predicted
time-varying parabolic shape near the leading edge,

WakeHead

Undercurrent

Nose Warm
air

Cold air
(from thunderstorm)

+

−

High turbulence

High turbulence

Gust front
boundary

Figure 2 Schematic diagram of a gust front based on observa-

tions. (Reproduced with permission from Simpson JE (1997)

Gravity Currents in the Environment and the Laboratory, 2nd edn.

Cambridge: Cambridge University Press.)

h0 �0

�1

�1

hd

xd

c=−(g ′h0)1/2

u f = 2(g ′h0)1/2

x f

h0 �0
hd

xd xf

hf

(B)

(A)

c=−(g ′h0)1/2

u f = k(g ′h f)
1/2

Figure 3 Models of the gust front based on the ‘dam-break’

problem with (A) h ! 0 or (B) uf ¼ k
ffiffiffiffiffiffiffiffiffi
g 0hf

p
at x ¼ xf. The dashed

line indicates the original position of the dense rain-cooled air; xd
and h0 indicate, respectively, the position of the edge (i.e., the

‘dam’) and the height of the rain-cooled air; hd is the height of the

outflow at the dam site. (Reproduced with permission from Klemp

J, Rotunno R, and Skamarock WC (1994) On the dynamics

of gravity currents in a channel. Journal of Fluid Mechanics

269: 169–198.)
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but rather a zone of nearly constant height falling
abruptly to zero, as shown in Figure 2 and depicted in
Figure 3B. Recognizing this deficiency, researchers in
the early 1960s solved eqns [9] and [10] with the
condition of eqn [11] instead of h ! 0 at the front.

uf ¼ k
ffiffiffiffiffiffiffiffi
g0hf

p
½11�

The constant k was left to be determined empirically.
For k � 1, eqn [11] produces solutions exhibiting a
zone of constant state behind the leading edge, in
which uf and hf are given by eqns [12], where h0 is the
initial reservoir height (Figure 3B).

uf ¼
2k

2þ k

ffiffiffiffiffiffiffiffiffi
g0h0

p
hf ¼ h0

2

2þ k

� �2

½12�

Although these solutions have the observed features of
constant ðuf; hfÞ behind the front, one has no way of
determining k from eqns [9] and [10]. To make such a
determination, one has to return to the full x-momen-
tum equations [5].

The reasonwhy the simple solution shown in Figure
3A is not realized in a two-layer fluid is that Kelvin–
Helmholtz instability produces a nontrivial coupling
between the cold pool and the environment intowhich
it spreads. Although the details of the instability and
turbulence at the interface are hopelessly complicated,
one can deduce the relation between ðuf and hfÞ from a
simple control volume analysis. Taking as an observa-
tional fact that a dense fluid of height Hð¼ hfÞ moves
steadily at speed Uð¼ ufÞ into an environment of less
dense fluid in a channel of depth d (Figure 4), one
can deduce eqn [13] from the vertically integrated
x-momentum equation along with mass conservation.

Uffiffiffiffiffiffiffiffi
g0H

p ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
2ð1� aÞð1� 0:5aÞ

1þ a

r
¼ k a ¼ H

d
½13�

(The restriction of the flow to the finite depth d is an
attempt to account for the effect of a stable layer
located above the generally constant-y air in the
subcloud layer.) The steady flow depicted in Figure 4,
and described by eqn [13], is generally known as a
‘density current’ (or ‘gravity current’), and occurs in a
wide range of geophysical and engineering problems
(see Density Currents). With the parameter k deter-
mined by eqn [13], eqn [12] now expresses the motion
in terms of the external parameters of the problem.

The connection described here between the produc-
tion of buoyancy, circulation, and cold outflow con-
stitute theminimalmodel for understanding the origin
and nature of gust fronts. Neglected, but potentially
important for quantitative prediction, are the effects
of surface friction, environmental stratification, and
time-dependence of the buoyancy source.

Influence of the Gust Front

In addition to bringing relief from the heat of the day,
the cold outflow from a thunderstorm displaces air in
its path upward (Figure 2) and so may regenerate a
new thunderstorm cell. Experience and models have
shown that the regenerated cells occur in a preferred
compass direction if the prevailingwind increaseswith
height. So, for example, if the prevailingwesterlywind
increases with height, the gust front from a thunder-
storm produces a new cell on its east side; a collection
of such cells in close proximity, all regenerating cells
on their east side, will soon give the system of cells the
appearance of a line running north–south. The latter is
termed a squall line. Since the squall line by its nature
lives much longer than its constituent cells, these
systems are the producers of copious rain, and
frequently, severe weather such as flash floods, torna-
does and other high-wind phenomena.

See also

Density Currents.Hydraulic Flow.Kelvin–Helmholtz
Instability. Severe Storms. Thermodynamics: Moist
(Unsaturated) Air; Saturated Adiabatic Processes.
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Figure 4 Moving at the constant density-current speed U, a

control volumeanalysis of themass andmomentumequations can

be done to derive eqn [13], which relates U to H , d and

g 0ð� gy�1
0 ðy1 � y0ÞÞ. (Reproduced with permission from Klemp J,
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Introduction

The so-called ‘Hadley circulation’ is perhaps the
earliest attempt to account for the global-scale distri-
bution of winds in the Earth’s atmosphere in terms of
basic physical processes. Halley in 1685 andHadley in
1735 both proposed that the ‘Trade Winds’ that blow
toward the Equator at low latitudes could be under-
stood as the lower branch of an axially symmetric
convection cell driven by the temperature difference
between the Equator and poles of the Earth. Their
ideas were ahead of their time, especially as there was
then no prospect of determining winds at upper levels
of the atmosphere and thus verifying their hypothesis.
When routine upper-air observations became avail-
able in the mid-twentieth century, the ideas of Halley
and Hadley were essentially confirmed. Today, the
term ‘Hadley circulation’ refers to the thermally
driven meridional overturning motions in the low-
latitude troposphere.

Figure 1 is the traditional, and somewhat
oversimplified, schematic view of the global
atmospheric circulation that will be found in many
elementary text books. It divides the Earth into a
set of climate zones, with the Trade Wind regime
confined to the tropics. The Trade Winds are
simply the low-level part of the overturning ‘Hadley
circulations’, with ascent near the Equator, descent
in the subtropics and a poleward return flow at
upper levels. The more disturbed midlatitudes are
characterized by generally westerly winds, with
irregular growing and decaying eddies, the cyclonic
and anticyclonic weather systems generated by
baroclinic instabilities. When averaged around entire
latitude circles, this turbulent midlatitude flow
averages to a weak ‘Ferrel circulation’, in which
warmer air at lower latitudes sinks and colder air at
high latitude rises. There is some evidence of a very
weak ‘polar cell’ at high latitudes.

The energy that drives theHadley circulation comes
from the conversion of heat energy to mechanical
energy in the tropical atmosphere: the Hadley circu-
lation is a prototypical example of a thermodynamic
‘heat engine’. Such heat engines are ultimately respon-
sible for maintaining all motions in the atmosphere
against the dissipative effects of friction. The opera-
tion of the atmospheric heat engine is shown in
Figure 2, which is a classic thermodynamic diagram in

which temperature is plotted against specific entropy.
The thermodynamic state of an air parcel – that is, its
temperature, pressure, density and so on – are repre-
sented by a point on the thermodynamic diagram, and
any change of its thermodynamic state by a curve on
the diagram. The area under the process curve is

Mid-latitude
westerlies

Trade
winds

Polar
cell

Ferrel
cell

Hadley
cell

Figure 1 A schematic view of the mean circulation of the

troposphere. The arrows on the globe show the winds near the

Earth’s surface. The circulations at the side show the zonal mean

circulation cells at various latitudes.
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proportional to the heat energy entering an air parcel.
The diagramalso shows two different lines of constant
atmospheric pressure, one near the Earth’s surface and
one in the tropical upper troposphere. Near the
surface, air flows toward the Equator, along the
segment marked AB, gaining heat from the surface
(this may be in the form of direct or sensible heat, or in
the form of latent heat as water evaporates into the
air). Near the Equator, it rises almost adiabatically
(that is, with little heat entering or leaving the air)
along the segment BC. It then moves poleward along
segment CA, cooling (that is, losing entropy) by
emitting infrared radiation to space and descending.
Eventually it returns to its original location A. During
this cyclic process, more heat is added to the air along
AB than is removed along CA. The excess heat is
converted to mechanical energy associated with the
circulation of the tropical air.

The condition for such an energy conversion to take
place is that heat should on average be added at higher
pressure than it is removed. Equivalently, one can say
that air must rise on average when it is warmer, and
descend when it is cooler. A circulation with these
properties is called a ‘thermally direct circulation’. A
thermally indirect circulation, in contrast, must be
driven by a source ofmechanical energy; a refrigerator
cycle is an example of such a thermally indirect
circulation. In the schematic diagram of Figure 2, the
Hadley circulation is thermally direct, and therefore
generates mechanical energy. In contrast, the Ferrel
circulation of midlatitudes is thermally indirect and
consumes mechanical energy.

The observed annualmeanmeridional circulation is
shown in Figure 3. The contours are parallel to the
northward and upward winds averaged around lati-
tude circles and in time. The contour values have been

scaled to have units of kg s�1. Theymay be thought of
as denoting themass flux across a line from the edge of
the plot to that point. The most striking feature is the
strong rising motion near the Equator, and sinking
motion at latitudes of about 251Nand S, defining two
overturning cells, the ‘Hadley cells’, one in each
hemisphere. However, the actual winds associated
with these circulations are not particularly strong:
they barely exceed 5m s�1. The Hadley cells are
thermally direct. Weaker, thermally indirect Ferrel
cells are seen at higher latitudes. Considerably weaker
thermally direct polar cells are seen at high latitudes.

The diagram also reveals that there is a close
relationship between the westerly component of the
wind, shown by the shading, and the meridional flow.
The westerly component is much stronger, with values
up to 40m s� 1. These maximum winds, the so-called
‘subtropical jet’, are found in the upper troposphere,
just where the circulations associated with the Hadley
cells meet those associated with the Ferrel cells. There
is also a close relationship between the zonal winds
and the temperature fields: they are linked, to a very
goodapproximationby the thermalwind relationship,
which can be written as eqn [1].

q �uu½ �
qp

¼ R

pf

q �TT
� �
qy

½1�

That is, a strong vertical wind shear is associated with
a strong poleward temperature gradient. In the deep
tropics where the Coriolis parameter f is small, this
relationship indicates that the temperature gradients
must be small, whatever the wind field. But in the
subtropics and midlatitudes, the increasing westerly
wind with height is associated with the fall of
temperature toward the poles.
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Figure 3 The annual mean meridional streamfunction. Contour interval 2� 109 kg s� 1. Shading shows zonal winds greater than

20ms�1. Based on an analysis of 20 years of ECMWF analyses.
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The Held–Hou Model

An elegant model due to Held and Hou gives consid-
erable insight into the Hadley circulation and the
factors that determine its extent. Figure 4 illustrates
the model. The atmosphere is divided into two layers.
The lower layer is affected by friction at the ground,
and flow within it is supposed to be generally small.
Friction is effectively zero in the upper layer and so at
this level rings of air conserve their angular momen-
tum as they move poleward. Assuming that such rings
start at the Equator with zero motion relative to the
solid Earth, the wind at higher latitudes in the upper
layer is given by eqn [2], whereO is the rotation rate of
the Earth, a is the radius of the Earth, and y is the
distance from the equator, proportional to the latitude.

UM ¼ O
a
y2 ½2�

Using the principle of thermal wind balance in the
form of eqn [3], the formula for UM can be used to
predict the variation of temperature with latitude,
yMðyÞ.

qu
qz

¼ ga

2OyT
qT
qy

½3�

This is to be compared with the hypothetical ‘radiative
equilibrium’ temperature distribution yEðyÞ of an at-
mosphere that is not permitted to circulate. Where the
actual temperature is less than radiative equilibrium
there is net heating, and vice versa. In a steady state, this
heatingandcooling shouldexactlybalance in theHadley
circulation and this requirement fixes the meridional
extent and strength of the Hadley circulation.

Figure 5 illustrates a graphical solution of theHeld–
Hou model. The actual temperature varies very little

with latitude in the tropics but drops rapidly in the
subtropics and mid-latitudes. The radiative equilibri-
um temperature has a maximum at the Equator. The
temperature on the equator is set by requiring that
there be no net heating of air parcels as they circulate,
that is, that the two shaded areas must be equal. The
poleward limit of the Hadley circulation is at the
latitudewhere these curves cross for the second time.A
formula for the distance of the poleward edge of the
Hadley cell from the equator results from this solution
(eqn [4]).

Y ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
5gHDy

3O2y0

s
½4�

This formula suggests a value forY of about 2500 km,
in remarkably good agreement with observations
considering the simplicity of the model.

The model can be elaborated. For example, the
vertical motions, proportional to the heating in the
regions of ascent and descent, can be estimated.
The model predicts a vertical circulation that is rather
weaker than that observed. The effect of latent heat
release in cumulonimbus clouds, which leads to inten-
sifiedbut narrower regions of ascent, andbroad regions
of descent, can be represented. But the basic physics,
which predicts that the Hadley circulations are con-
fined to 2500kmor so of the equator, remains relevant.

Seasonal Effects

The annual mean circulation shown in Figure 3 is in
fact the average of two quite different circulation

H

y

Ω

No friction
No friction: U=0

Figure 4 The configuration of the Held–Hou model.
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Figure 5 Solution of the Held–Hou model.
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regimes that persist around the solstices. Figure 6
shows the circulation for the mean Northern Hemi-
sphere winter and summer seasons. In both cases,
there is a single strong thermally direct Hadley cell
with rising motion in the summer hemisphere and
descent in the winter hemisphere. Weaker, thermally
indirect Ferrel cells are seen at middle latitudes in both
hemispheres, but there is little or no sign of a Hadley
cell in the summer hemisphere. Looking at the mean
circulation for shorter periods reveals that the transi-
tion between a circulation like that of Figure 6A and
one like that of Figure 6B is quite abrupt. At most
times, there is just a single tropical Hadley cell whose
circulation links the two hemispheres: at some point in
the spring and autumn its direction of circulation
switches abruptly as the temperature maximum
crosses the Equator.

The Held–Hou model can be adapted to the
situation where the heating is not symmetric about
the Equator. Assume that the maximum radiative
equilibrium temperature is no longer at the Equator,

but at some latitude y0. As well as the latitude of the
northern and southern edges of the Hadley cells, the
latitude yc of the streamline that divides circulation
into the summer andwinter hemispheres, andwhich is
not the same as y0, must be determined. The algebra is
more complicated, but the steps in the argument are
just the same as for symmetricHadley cell described in
the previous section.

Figure 7 shows the results. For even small y0, the
summer cell shrinks drastically and the winter cell
intensifies. Almost all the circulation is associatedwith
ascent in the summer hemisphere and with descent in
the winter. The strength of the circulation is indicated
by the area between the temperature curves and the
radiation equilibrium curve. For y0 of only 500 km,
the winter cell has intensified by a factor of about 10
compared to the symmetric case, while the summer
cell has weakened by a similar factor. Thewinter cell is
therefore some 100 times as intense as the summer cell.
Such a highly nonlinear response to the latitude of the
heating maximum means that the annual mean
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Figure 6 The mean meridional circulation for (A) the December–January–February season and (B) the June–July–August season.

Other details are as for Figure 3.
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meridional circulation is much more intense than the
circulation derived from the annual mean heating.
This is a particularly pointed example of the problem
of ‘nonlinear averaging’, which is ubiquitous in the
study of climate. This result also reconciles the weak
circulations of the Held–Hou model with the stronger
observed circulation: we should interpret the annual
mean circulation as the average of the two solsticial
circulations, not as the response to the annual mean
thermal forcing.

A Lagrangian View

The diagrams of the meridional circulation shown so
far have all been based on so-called ‘Eulerian aver-
ages’. That is, the winds have been averaged at fixed
points in space to produce the time-mean, zonal-mean
circulation. At all points in space, the winds and
temperatures fluctuate to some degree as weather
systems pass across the observing site. An alternative is
to follow individual elements of fluid as they move
around in the atmosphere, and average their proper-
ties to define a mean circulation. Such a mean is called
the ‘Lagrangian mean’, and in many ways is a much
preferable way to describe the circulation. For
example, the laws of physics applied to the atmosphere
all refer to the properties of discrete, identifiable lumps
of fluid. However, the Lagrangian mean is very
difficult to calculate in practice, not least because
individual elements of fluid rapidly become distorted
and eventually thoroughly mixed with neighboring
elements.

An approximation to the Lagrangian meridional
mean circulation can easily be calculated, and is
shown in Figure 8. In constructing this diagram,
the wind data were averaged not on surfaces
of constant pressure (as in Figures 2–7) but on
surfaces of constant ‘potential temperature’. The
potential temperature of an air parcel generally
remains more or less constant for periods of less than
a few days. It follows that surfaces of constant
potential temperature move up and down in response
to the movement of the air. Averaging on potential
temperature surfaces is equivalent, to the degree that
potential temperature is indeed conserved, to taking
the Lagrangian average.
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Figure 8 differs dramatically from the correspond-
ing Eulerianmean circulation shown in Figure 6B. The
tropicalHadley cell is still present, but themid-latitude,
thermally indirect Ferrel is more or less eradicated.
Instead, a thermally direct circulation extends all the
way from the tropics to the pole in the winter
hemisphere. The original picture of the global circula-
tion suggested by Halley and Hadley is largely vindi-
cated if one views the circulation in Lagrangian terms.

The thermally indirect Ferrel cell actually tran-
sports heat against the temperature gradient, from
high latitudes to low latitudes. At the same time,
fluctuations in the flow (often termed ‘eddies’) more
than compensate by transporting heat down the
temperature gradient, from low latitudes to high.
In fact, the partitioning of the flow into mean and
eddy parts is arbitrary. The Lagrangian circulation,
dominated by thermally direct circulations at nearly
all latitudes, is a more natural and less arbitrary
description. In the Lagrangian view, thermally direct
Hadley circulations dominate the large-scale
tropospheric circulation. The Lagrangian view is
remarkably like that originally suggested by Halley
and Hadley.

See also

Boundary Layers: Convective Boundary Layer.Coriolis
Force.General Circulation:Energy Cycle.Lagrangian
Dynamics.
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Introduction

Hailstones are balls of ice that typically fall from
cumulonimbus clouds. By convention, they must be
greater than 5mm in diameter but their composition,
size, and shape are variable. The largest hailstones can
have longest dimensions of 15 cm or more.

Hailstone amounts are also highly variable, but
generally the largest hailstones and heaviest hailfalls
are from the most severe storms; that is, storms with
the strongest updrafts, tallest cloud tops, and largest
size. Thus hail is correlated with tornadoes, and also
with lightning, thoughmany storms produce lightning
with no hail at the ground. Hail is not as well
correlated with flooding, which often results from
long-lasting and slow-moving precipitation systems
that do not produce hail and may not have exception-
ally strong updrafts.

Hailstones include various amounts of air bubbles,
often in layers that indicate growth stages, but when
larger than about 2 cm in diameter their densities are

usually within 5% of that of solid ice, 0.91 g cm�3.
However, hail may be slushy, containing significant
amounts of liquid water, and, especially at small sizes,
the air contentmaybe great enough that the hail is soft.
Soft hail is distinguished from graupel (accumulations
of rime on snow particles or small frozen water drops)
only by size, and since nearly all hail falls through a
thick layer of air above the freezing point before
reaching the ground, soft hail is often slushy, because
of melting, when it falls. Much rainfall from cumulo-
nimbus clouds in temperate climates is melted graupel
and small hail.

Fundamental Concepts of Hail
Formation

Hail forms by the accretion of water droplets onto ice
particles falling through supercooled cloud. The basic
elements needed for understanding the principles of
hail formation are as follows.

The Updraft and its Consequences

Humid air rising in the cores of cumulus clouds cools
as it rises. The cooling causes the condensation and
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growth of water droplets to form the cloud, and the
droplets supercool when the temperature falls below
the freezing point. Thesewater droplets are very small,
and rise in the updraft almost as fast as the air rises,
typically several tens of meters per second in hail-
storms, because their terminal fall speeds are less than
10 cm s� 1. An ice particle in such an updraft that is big
enough to have a higher fall speed collides with and
collects supercooled droplets, which freeze upon
impact and stick to it. This is the basic mechanism of
hailstone growth, and the initiating particle may be a
snow crystal or snowflake or a frozen water drop. The
othermain role of the updraft in hail formation is to be
strong enough and long-lasting enough to hold the
hailstones aloft, within supercooled cloud above the
freezing level, long enough for them to grow to their
final sizes. If they are to reach the ground as hail, they
must be big enough not to melt on the way down.

Terminal velocities of hailstones are described by

VT ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffi
4griD
3CDra

s
½1�

In eqn [1], where CD is the drag coefficient, a
dimensionless quantity that expresses how the drag
force (the air resistance) relates to the velocity and the
fluid properties. The densities of ice and air are
indicated by r; g is the acceleration due to gravity;
and D is the diameter of the hailstone. Numerical
values are plotted in Figure 1 for different values ofCD

and, with CD ¼ 0:55, for both sea level and 500 hPa
pressure. A pressure of 500 hPa corresponds very
roughly to �101C and 6km above sea level, with
considerable variability depending upon local condi-
tions. The large range of values for CD comes about
because of the highly variable shapes of hailstones,
which influence fall speed considerably. Hailstone
diameter is usually defined as the diameter of a sphere
of equivalent mass. A hailstone growing within an
updraft may ascend or descend depending upon
whether its terminal fall speed is less or greater than
the updraft speed.

The Thermodynamics of Hailstone Growth

Water remains in the liquid state when cooled below
01Cunless it contains a particle of a solidmaterial that
is an ice nucleus, with the property of initiating ice.
The content of ice nuclei in the atmosphere is variable,
but as a rough average there might be one that acts at
�201C per liter of air and only one per many cubic
meters active at �51C. Thus clouds that are not too
much colder than 01C are often composed almost
entirely of supercooled water droplets, since the
droplet populations in clouds vary between about

100 and 1000 per cubic centimeter. Hailstones grow
within such clouds.

The droplets freeze when they collide with ice,
releasing latent heat ð� 334 J g �1Þ. However, since the
specific heat of water is 4.2 J g� 1K�1, a drop super-
cooled to �101C is warmed to 01C when only about
1/8 of it is frozen. If the remaining 7/8 is to freeze, the
rest of the latent heat must be absorbed by the
environment, which in this case is the surrounding
air, at �101C. Growing hailstones are thus warmer
than the surrounding air, and in extreme cases their
temperature may be 01C and they may grow as a
mixture of ice and water, called spongy hail.

Hailstone layering consists of shells with varying air
bubble contents, which arise because of air tempera-
ture variations (changes in growth altitude) or cloud
water content variations, which cause changes in the
hailstone temperature.

Hail Falling Behavior, Shape, and Growth

Since hail grows by accreting and freezing water
droplets, it grows mostly on its underside where the
collisions occur. Small hailstones, falling at only
10–15m s� 1, usually maintain a single falling orien-
tation. This often leads to a roughly conical shape,
with the growth ‘center’ on top and consecutive,
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Figure 1 Terminal fall velocities of hailstones plotted against

diameter, for the drag coefficients ðCDÞ indicated, calculated for a
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density of 0.9 g cm�3, except where otherwise indicated. (From

Knight CA and Knight NC (2001). In: Severe Convective Storms.

Boston: American Meteorological Society, by permission of AMS.)
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broadening layers beneath that constitute most of the
bulk. When hailstones grow larger, the higher fall
speed creates more turbulence and they tumble. Often
their growth shapes are then flattened, most of the
collisions occurring around a perimeter because of a
rapid and symmetrical, but complicated, tumbling
motion. Figure 2 shows two sections through such a
hailstone, illustrating the conical center that grew into
a rather thick, somewhat elongated disk. The tum-
bling has important consequences for shape and also
for terminal fall speed and heat exchange, and it may
aid in shedding any unfrozen water that otherwise
might accumulate.

Hailstones larger than a few centimeters in diameter
are often lumpy. When the hail grows wet with liquid
water, lumpsmay form like icicles, fromwater flowing
over the surface. Hailstones of this kind are seen in
Figure 3. The lumpy shapes often suggest aggregation
of smaller hail, but sections through lumpy hail never
have shown this to be the case. The lumpiness makes
the tumbling more chaotic and the shapes more
complex, and also influences the fall speed by increas-
ing the drag coefficient.

The rate of hailstone growth is expressed as eqn [2],
whereD is thediameter,W is the cloudwater content in
mass per unit volume, andE is the collection efficiency.

dD

dt
¼ VTWE

2ri
½2�

E ¼ 1 for the case of simple sweep-out – the collection
of all water droplets in the volume of air traversed by
the hailstone. In reality, E is usually between roughly
0.3 and 0.8 depending upon the sizes of both the
droplets and the hailstone, because some droplets in
the path of the hailstone are carried around it by the
airflow. Figure 4 shows the typical range of values of

Figure 2 Two slices through a large, oblate hailstone: (A)

perpendicular to the short axis of the stone and (B) parallel to the

short and the long axes. The photographs were taken with a bright

background, so clear ice appears white and ice with small air

bubbles is darker. The hailstone grew in a constant falling

orientation and developed a conical shape up to 2–3 cm in length.

After that the growth was fastest around the perimeter of the

flattened hailstone, owing to a rapid, and complicated but

symmetrical tumbling motion. Note the growth layers (shown by

differing air bubble content) that signify changes in the growth

environment.

Figure3 Four hailstonesgreater than5 cm in diameter that show

prominent projections. These formas the hail growswhile wet, with

liquid water flowing over the hailstone surface, and grow in a

manner similar to the formation of icicles.
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KnightNC (2001) In:SevereConvectiveStorms. Boston:American
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growth rates as a function of hail size, for WE ¼
2:5 gm�3 and ri ¼ 0:9 g cm�3.

Hailstorms

The necessary and sufficient conditions for hail
formation in a thunderstorm are easy to state in
general terms. The storm needs to provide a strong
updraft containing supercooled water droplets as the
environment for hailstone growth, and into this
environment must come hailstone ‘embryos’. These
are particles of ice with terminal fall speeds of a few
meters per second that can grow in a few tens of
minutes into hailstones. Their growth must be fairly
rapid because the growth environment may disappear
as the updraft weakens (the updrafts in most thunder-
storms are intermittent), or the supercooled water
content of the updraft may become depleted, either by
evaporation as the updraft air mixes with drier
surrounding air or by conversion to many small ice
particles. If the ascent rate of the potential hail embryo
is too great, itmay be elevated out of the growth region
before it grows big enough to fall as hail; if the ascent
rate is too slow, it may fall out before it reaches large
enough size. The growth region extends from 0 to
� 401C, the temperature at which all the supercooled
water droplets freeze spontaneously; a distance of 5 to
6 km within cloud.

The formation of hail, then, depends upon a critical
interrelation between the three-dimensional air flow
within storms, the fate of the supercooled droplets that
occur within the updrafts, and the trajectories of the
potential hail embryos. These factors work together to
determine how much of the water vapor that con-
denses reevaporates in the middle and upper atmos-
phere, how much of it falls as rain, and how much as
hail. The percentage of it that falls as hail is difficult to
measure, but is usually very small.

Hail in Supercell and Multicell Storms: Steady and
Time-Dependent Concepts

There are at least two specific hypotheses for hail
formation that refer to two idealized storm types: the
supercell storm and the multicell storm. The supercell
is a type of storm that can last a long time and travel
considerable distances, often producing tornadoes
and often producing long swaths of large, damaging
hailstones. The diagrams in Figure 5 represent a
typical case in the central United States, a horizontal
cross-section view looking down at the storm and a
vertical cross-section view, both indicating possible
growth trajectories. The humid air entering the storm
comes in a vigorous flow at the surface from the south
or south-east, rises up through themiddle of the storm,
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Figure 5 Schematic of airflow and some hydrometeor trajecto-

ries deduced in a supercell storm. (A) Plan view, looking down at

the storm, showing low-level inflow entering from the south (the

bottom of the drawing), themain updraft within the storm shown by

the dotted circle, upper-level environmental air flow from the west

and storm outflow to the east. The area within the cloud containing

precipitation-sized hydrometeors is hatched. (B) Cross-section

south to north parallel to the inflow, with the upper level flow away

from the reader. The trajectory indicated by open circles in both

views represents direct growth in the main updraft: condensation,

freezing, and some riming leading to small ice particles that travel

more or less with the air and out into the upper-level anvil. The

trajectory indicated by the solid circles indicates particles that start

in weaker upward flow on the south side of the updraft, grow to

larger sizes and higher fall velocities and fall as small hail or rain to

the north of the location of the main updraft. The trajectories

indicated by the numbers 1, 2, 3 represent large hail formation:

(1) slow growth rising at the west side of the updraft, (2) descent

back into the inflowwhile traveling in theenvironmental flowaround

the south side of the updraft, and (3) final growth as hail within the

strong updraft and fallout at its northern edge. (Adapted with

permission from Browning KA (1977) In: Foote GB and Knight CA

(eds.) Hail: A Review of Hail Science and Hail Suppression.

Boston: American Meteorological Society.)
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and exits to the east because the flow in the upper levels
is from the west. That carries the southern part of the
outflow in the upper levels over the topof the inflowing
air at the surface. The updraft in the central part of the
storm can be 30–50m s� 1, so small ice particles that
growwithin the updraft do not have time to grow very
large and attain much fall speed before being ejected
into the outflow at the top of the storm, producing the
extensive anvils characteristic of supercells. However,
in the outflow there is little vertical air motion, and the
idea is that some of these particles fall back into the
inflow at low levels. They may become hail embryos,
getting a chance to grow further while rising a second
time within the updraft. Falling faster with respect to
the air, they ascendmore slowly and have time to grow
into fully fledged hailstones.

This is a particularly simple and organized
recycling of precipitation particles to form hail
embryos in a storm: simplified becausemost supercells
are not especially at steady state but evolve in various
ways.

Multicell storms, on the other hand, are composed
of individual convective cells that grow and decay in
proximity to one another, sometimes in a systematic
way. The individual cells may last 45–60min, as their
updrafts increase up to a maximum and then die out.
This can be enough time to produce significant hail
and, if the initial updraft is not too strong, embryos
mayhave time to growandattain a fall speed of several
meters per second without being elevated too high in
the cloud.Nowas the updraft strengthens the embryos
may already be there, in the right locations and ready
to form hailstones.

Multicell hailstorms typically produce spotty, dis-
continuous hailfalls, which may be organized within a
larger hailswath if the multicell is an organized one or
may be distributed irregularly.

Hail Suppression

Hailfall is a widespread phenomenon in temperate
zones around the world. In some areas it represents a
major loss to agricultural production, and in recent
years the insurance losses in large, urban areas have
increased greatly, mostly from hail damage to roofs
and automobiles.

Suppression of hail by seeding clouds with artificial
ice nuclei has been practiced in many parts of the
world for several decades. It is still widespread,
although it is controversial and there has been no
definitive demonstration of positive effects. The main
idea is that furnishing ice nuclei might increase the
number of potential hail embryos in the clouds,
thereby depleting the supercooled water and reducing

the hailstone size while increasing the number. If the
size is reduced enough, most or all of the hail may then
melt before reaching the ground. Ideally, the hail
would be suppressed and the rainfall increased. There
has been a great deal of discussion about optimizing
the seeding materials and the timing and location of
seeding, but the knowledge of the natural evolution of
the ice contents within hailstorms is still rudimentary,
so it may be many years before a consensus is reached
on the prospects of hail suppression.

Hail Climatology

Hailfall at the ground is a small-scale phenomenon
generally affecting areas of one to a few tens of
square kilometers, though much larger hailfalls
have been documented. It is highly variable and
poorly resolved by routine weather observation
networks. Many small hailfalls are missed altogether.
Thus data on hail climatology are statistical in
nature and much of the information derives from
insurance records.

Probably the most general climatological correla-
tion for hailstorms is that they often occur at the lee
sides of mountain ranges. In South America, the
United States, and Canada there is a strong tendency
formaximum hail frequencies to occur in the lee of the
Andes and the Rocky Mountains – locations also of
exceptionally high thunderstorm frequency. In terms
of hail damage to crops, however, areas of moderate
hail frequency may be more important if they contain
crops that are exceptionally sensitive to hail damage
and have high value per unit area, such as wine grapes,
tobacco, tea, and some fruits and vegetables.

Hail becomes rarer toward the poles, simply
because the frequency of convective storms decreases
with increasing latitude. Hail is also relatively rare in
the tropics and inmaritime regions, but the reasons for
this are not as clear-cut. Part of the reason may be a
thunderstorm frequency effect, but not all. Rain forms
more readily in clouds in the tropics than in temperate
climates because higher humidity and warmer cloud
bases provide on the average much more liquid water
in the clouds below the freezing level. Thus rain forms
by the coalescence of water drops without involving
the ice phase, and the fallout of this rain decreases the
amount of supercooled water higher in the clouds
where the temperature is appropriate for hailstone
growth. Likewise, rain forms more easily in maritime
cumulus because maritime air contains fewer nuclei
for condensation, which reduces the droplet concen-
trations. A reduced droplet concentration increases
droplet sizes, leading again to a faster formation and
fallout of rain and a decreasing likelihood of hail.
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Hail Detection by Radar

Radar methods for remote sensing of hail within
clouds have recently come into use for research but not
yet for the operational radar networks. These rely on
varying the polarization of the transmitted pulses and
sensing different polarizations of the backscattered
radiation. Horizontal and vertical, linear polariza-
tions are often used, and sometimes circular polariza-
tion. Intense radar echoes may be caused either by
heavy rain or by hail, and until recently their
interpretation has been ambiguous. However, big
raindrops are consistently flattened, with larger hor-
izontal than vertical dimensions, and this produces a
substantially stronger echo with a horizontally than
with a vertically polarized radar. Hail gives a more
nearly equal echo strength at the two polarizations
because small hail is not flattened and larger hail
tumbles so that its elongations are about equally
distributed it space. Thus the difference, termed the
differential reflectivity, is used as a hail signalwhen the
radar echo itself is intense.

Widespread application of this and other advanced
radar techniques will greatly increase the knowledge
of hail production as related to storm structure and

behavior, especially if techniques are developed to
provide information about hail size and amount
within storms. Radar sensing of hail, if developed to
be sufficiently quantitative and used routinely, would
also contribute greatly to hail climatology and hail
research.

See also

Cloud Microphysics. Radar: Precipitation Radar. Se-
vere Storms. Snow (Surface).WeatherModification:
Inadvertant.Weather Prediction: SevereWeather Fore-
casting.
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Introduction

Hamiltonian dynamics describes the evolution of
conservative physical systems. Originally developed
as a generalization of Newtonian mechanics, describ-
ing gravitationally driven motion from the simple
pendulum to celestialmechanics, it also applies to such
diverse areas of physics as quantum mechanics,
quantum field theory, statistical mechanics, electro-
magnetism, and optics F in short, to any physical
system for which dissipation is negligible. Dynamical

meteorology consists of the fundamental laws of
physics, including Newton’s second law. For many
purposes, diabatic and viscous processes can be
neglected and the equations are then conservative.
(For example, in idealized modeling studies, dissipa-
tion is often only present for numerical reasons and is
kept as small as possible.) In such cases dynamical
meteorology obeys Hamiltonian dynamics. Even
when nonconservative processes are not negligible,
it often turns out that separate analysis of the
conservative dynamics, which fully describes the
nonlinear interactions, is essential for an understand-
ing of the complete system, and the Hamiltonian
description can play a useful role in this respect.
Energy budgets and momentum transfer by waves are
but two examples.
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Hamiltonian dynamics is often associated with
conservation of energy, but it is in fact much more
than that. Hamiltonian dynamical systems possess
a mathematical structure that ensures some remark-
able properties. Perhaps the most important is the
connection between symmetries and conservation
laws known as Noether’s theorem. Well-known
examples are the fact that conservation of energy
is linked to symmetry in time, and conservation
of momentum to symmetry in space. Less well-known
is the fact that material conservation of potential
vorticity, so crucial to the theory of dynamical
meteorology, is also connected to a symmetry by
Noether’s theorem, but to a symmetry that is invisible
in the Eulerian formulation of the governing equa-
tions. It turns out that one can exploit the underlying
Hamiltonian structure of a system through the rele-
vant conservation laws even if the explicit form of that
structure is not known, which is useful for applica-
tions. As is shown in detail below, symmetry-based
conservation laws provide a general theory of avail-
able potential energy, and show why it is that Rossby
waves carry negative zonal momentum, thereby
explaining both the maintenance of the westerlies
and the stratospheric Brewer–Dobson circulation.
Such laws also provide a powerful way of deriving
stability criteria.

Dynamical meteorologists use a variety of theoret-
ical models, ranging from the fully compressible
equations through the hydrostatic primitive, Boussin-
esq, and quasi-geostrophic equations to the barotropic
equations. With such a zoo of models, it is crucial to
know the extent to which theories developed
for one model carry over to another. Hamiltonian
dynamics provides this unifying framework. All the
models just mentioned are in fact Hamiltonian,
and models can be grouped into families according
to their Hamiltonian structure. In this way it
becomes immediately apparent, for example, that
the Charney–Stern stability theorem for baroclinic
quasi-geostrophic flow is the counterpart toRayleigh’s
inflection-point theorem for barotropic flow, and
that an analogous stability theorem will exist for
any balanced model having a similar Hamiltonian
structure, no matter what the definition is of the
potential vorticity. Thus, it is precisely through its
abstract character that Hamiltonian dynamics has
many powerful applications in theoretical dynamical
meteorology.

Canonical andNoncanonicalDynamics

In classical mechanics, canonical Hamiltonian dy-
namical systems are those described by Hamilton’s

equation (eqns [1]).

dqi
dt

¼ qH
qpi

;
dpi
dt

¼ � qH
qqi

ði ¼ 1; . . . ;NÞ ½1�

Hðq; pÞ is the Hamiltonian function, q � ðq1; . . . ; qNÞ
are the generalized coordinates, and p � ðp1; . . . ; pNÞ
the generalized momenta. For so-called natural sys-
temswithH ¼ ðjpj2=2mÞ þUðqÞ, wherem is themass
and U the potential energy, eqns [1] immediately lead
to eqn [2], which is Newton’s second law for a
conservative system.

m
d2qi
dt2

¼ � qU
qqi

ði ¼ 1; . . . ;NÞ ½2�

Conservation of energy follows directly from eqns [1],
for any H, by the chain rule (repeated indices are
summed):

dH
dt

¼ qH
qqi

dqi
dt

þ qH
qpi

dpi
dt

¼ qH
qqi

qH
qpi

� qH
qpi

qH
qqi

¼ 0 ½3�

Symplectic Formulation

The theory of canonical transformations suggests that
there is nothing special about the qs and ps, and
Hamilton’s equations [1] can be written in the so-
called symplectic form, eqn [4].

dui
dt

¼ Jij
qH
quj

ði ¼ 1; . . . ; 2NÞ ½4�

In eqn [4], u ¼ ðq1; . . . ; qN; p1; . . . ; pNÞ and J is given
by eqn [5], where I is the N�N identity matrix.

J ¼ 0 I
�I 0

� �
½5�

J has certainmathematical properties, including skew-
symmetry. More generally, one can take those prop-
erties to be the definition of Hamiltonian structure,
with J not necessarily of the form of eqn [5]. The skew-
symmetry of J nevertheless guarantees energy conser-
vation (eqn [6]).

dH
dt

¼ qH
qui

dui
dt

¼ qH
qui

Jij
qH
quj

¼ 0 ½6�

There is an important distinction between systems
with a nonsingular (or invertible) J, which can always
be transformed into the canonical form of eqn [5], and
those with a singular (or noninvertible) J. The latter,
knownas noncanonical systems, possess a special class
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of invariant functions known as Casimir invariants.
These are the solutions of eqn [7] (for canonical
systems the solutions are just constants).

Jij
qC
quj

¼ 0 ði ¼ 1; . . . ; 2NÞ ½7�

That they are necessarily conserved in time then
follows from the skew-symmetry of J (eqn [8]).

dC
dt

¼ qC
qui

dui
dt

¼ qC
qui

Jij
qH
quj

¼ � qH
qui

Jij
qC
quj

¼ 0 ½8�

The best-known example of a noncanonical Ham-
iltonian system is Euler’s equations for rigid-body
dynamics. Having an odd number of evolution equa-
tions (three in this case), the system is necessarily
noncanonical because any skew-symmetric matrix of
odd dimension must be singular. There is one Casimir
invariant for Euler’s equations, the total angular
momentum.

Noether’s Theorem

For a canonical system, if a particular generalized
coordinateqj does not appear in theHamiltonian, then
the Hamiltonian is invariant under changes in that
coordinate; in other words, there is a coordinate
symmetry. Translational and rotational symmetries
are common examples. Hamilton’s equations [1] then
immediately imply that the corresponding generalized
momentum is conserved: dpj=dt ¼ 0.

This connection between symmetries and conserva-
tion laws has a more general and far more power-
ful form. Given a function FðuÞ, define dFui ¼
eJijðqF=qujÞ, where e is an infinitesimal parameter; dFu
is called the infinitesimal variation inu generated byF.
(In the canonical case, dFu is an infinitesimal canonical
transformation.) It then follows that the infinitesimal
variation inH generated by F is given by eqn [9].

dFH ¼ qH
qui

dFui ¼ e
qH
qui

Jij
qF
quj

½9�

On the other hand, the time evolution of F is given by
eqn [10].

dF
dt

¼ qF
qui

dui
dt

¼ qF
qui

Jij
qH
quj

½10�

Using the skew-symmetry of J, eqns [9] and [10] then
imply that dFH ¼ 0 if and only if dF=dt ¼ 0. This
connects symmetries and conservation laws: the
Hamiltonian is invariant under the variation generat-
ed by F (i.e., that variation represents a symmetry of
the Hamiltonian) if and only if F is a conserved
quantity. This result, known as Noether’s theorem, is
one of the central results ofHamiltoniandynamics and

underpins many of its applications to dynamical
meteorology.

Casimir invariants are special because dCu ¼ 0. This
suggests that they correspond to invisible symmetries.
For example, in rigid-body dynamics the total angular
momentum is a conserved quantity in any description
of the motion. In the original canonical description it
corresponds to the rotational symmetry of the dynam-
ics, but in Euler’s equations, where angles have been
eliminated, it enters as a Casimir because the under-
lying physical symmetry is no longer explicit.

Barotropic Dynamics

In what sense are the models of dynamical meteorol-
ogy Hamiltonian? Consider what is probably the
simplest suchmodel, the barotropic vorticity equation
(eqn [11]), which describes two-dimensional, nondi-
vergent flow.

qo
qt

¼ �v .=o ¼ �qðc;oÞ ½11�

Hereoðx; y; tÞ ¼ ẑz . ð=3 vÞ ¼ r2c is the vorticity, ẑz is
the unit vector in the vertical direction, vðx; y; tÞ ¼
ẑz3=c is the horizontal velocity, cðx; y; tÞ is the
streamfunction, and qð f ; gÞ � fxgy � fygx is the two-
dimensional Jacobian. The candidate Hamiltonian is
the conserved energy of this system, which is just the
kinetic energy. The obvious dynamical variable is the
vorticity. In order to cast eqn [11] in the form of
eqn [4], we need to regard every point ðx; yÞ in space as
indexing a degree of freedom analogous to the index i;
the sum over i then becomes an integral over space,
functions become functionals, and partial derivatives
become functional or variational derivatives. Thus we
write eqn [12].

dH ¼ d
Z Z

1

2
j=cj2 dxdy

¼
Z Z

=c . d=c dx dy

¼
Z Z

f= . ðcd=cÞ � cdog dx dy ½12�

Assuming for now that the boundary terms vanish, we
identify the variational derivative as dH=do ¼ �c.
The need to integrate by parts reflects the fact that the
effect of a vorticity perturbation on the kinetic energy
density is nonlocal; thus, partial derivatives at fixed
points in space make no sense and variational deriv-
atives are essential. Equation [11] can now be cast in
Hamiltonian form as eqn [13].

qo
qt

¼ J
dH
do

where J ¼ �qðo; �Þ ½13�
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Note that J is now a differential operator rather than a
matrix. It is evidently skew-symmetric:

RR
fJg dx dy ¼

� RR gJf dxdy (under suitable boundary conditions)
for arbitrary functions f ; g.

Conservation Laws

The form of J in eqn [13] is clearly singular: any
function of o inserted in the argument gives zero.
These then represent Casimir invariants of the system:
functionals of the form [14], whereCð�Þ is an arbitrary
differentiable function, evidently satisfy
JðdC=doÞ ¼ 0.

C ¼
Z Z

CðoÞ dx dy with
dC
do

¼ C0ðoÞ ½14�

The fact that such functionals are conserved in time
corresponds to the material conservation of vorticity
expressed by eqn [11].

To identify the momentum invariants, we need to
apply Noether’s theorem to the various spatial
symmetries. Suppose that the domain is unbounded,
with decay conditions at infinity, so that there is
symmetry in all directions. The variation in o corre-
sponding to a translation by dx in the coordinate x is
given by do ¼ �ðqo=qxÞdx. Setting e ¼ dx, we then
need to solve for the momentum invariantM accord-
ing to eqn [15].

�e
qo
qx

¼ dMo ¼ eJ
dM
do

¼ �eq o;
dM
do

� �
½15�

Towithin the addition of aCasimir, the solution of eqn
[15] is given by dM=do ¼ y. Hencewemay chooseM
as in eqn [16], where v ¼ ðu; vÞ.

M ¼
Z Z

yo dx dy ¼
Z Z

y
qv
qx

� qu
qy

� �
dxdy

¼
Z Z

u dxdy ½16�

The first, elementary form of M given by eqn [16] is
known as Kelvin’s impulse. It represents the y ‘center-
of-mass’ of the vorticity distribution, and is in many
ways the preferable form because it is local in o. The
final form, however, shows that the invariant M
corresponding to symmetry in x is ultimately just the
x-momentum, as expected.

The same argument applied to translation in the
coordinate y yields eqn [17].

M ¼ �
Z Z

xo dxdy ¼
Z Z

v dx dy ½17�

Finally, rotational symmetry leads to eqn [18], where
r � ðx; yÞ and r ¼ jrj, which is the angular momentum

about the origin.

M ¼ �
Z Z

1

2
r2o dx dy ¼

Z Z
ẑz . ðr3 vÞ dxdy ½18�

The discussion has so far neglected any contribution
from boundary terms. They are easily included. In the
presence of rigid lateral boundaries, for a complete
mathematical specification of the problem, eqn [11]
must be supplemented with the conditions [19] on
each connected portion of the boundary.

v . n̂n ¼ 0;
d

dt

I
v . ds ¼ 0 ½19�

Here n̂n is the outward-pointing normal, and s is
the vector arc length along the boundary. The second
of eqns [19] represents conservation of circulation,
which follows from the underlying momentum
equations but must be included as a separate
condition in the vorticity formulation of the dynamics.
Although the circulation integrals along each
connected portion of the boundary are constants in
time, they are independent dynamical variables
and are needed to determine v from o. The
Hamiltonian formulation of eqn [13] may easily
be extended to include the circulation integrals in
addition to o as dynamical variables. The Casimir
invariants then include functions of these circulation
integrals. With regard to the momentum invariants,
of course, the rigid boundaries must respect the
same symmetries; a zonal channel flow with walls
at constant y breaks the translational symmetry
in y and the rotational symmetry, leaving only the
zonal impulse of eqn [16] as an invariant. The
final equality of eqn [16] is then no longer strictly
true, but the impulse and momentum differ only by
terms involving the circulations along the channel
walls, which are Casimirs. Since symmetry-based
invariants are only defined to within a Casimir in
any case, the impulse and momentum are essentially
equivalent.

A simplified model of barotropic dynamics is the
point-vortex model, where the vorticity is concentrat-
ed in Dirac delta functions. The point-vortex model
has been used to study two-dimensional turbulence
and certain kinds of atmospheric flow structures. It
also turns out to be Hamiltonian, and is in fact a
canonical system: theCasimirs are built into themodel
as parameters through the choice of the point-vortex
strengths.

Other Balanced Models

The barotropic vorticity equation has a mathematical
structure that is analogous to that of many models of
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balanced, or potential-vorticity-driven, flow (see Dy-
namic Meteorology: Balanced Flows) and the results
derived above extend in an obvious way to such
systems. Inclusion of the beta effect means simply a
change from o to the potential vorticity q ¼ oþ by.
Since dy ¼ 0 (recalling that the coordinate y is like an
index), dq ¼ do and eqns [11]–[14] go through
unchanged with q in place of o. However the beta
effect breaks translational symmetry in y and rota-
tional symmetry, leaving only the translational sym-
metry in x represented by the zonal impulse invariant
of eqn [16]. Strictly speaking the latter should be
writtenwithq in place ofo, but the integrals differ by a
constant and so represent the same invariant. Inclu-
sion of topography is no more difficult; one simply
includes an additional topographic term hðx; yÞ in the
definition of q. This will generally break all spatial
symmetries, leaving only the energyH and Casimirs C
as invariants. This illustrates a general and important
point, namely, that symmetry-based invariants are
fragile: a slight change in the conditions of the problem
destroys their conservation properties. In contrast, the
energy and the Casimirs are robust invariants (robust
within the conservative context, of course) that
survive such perturbations.

Stratification is most easily introduced in the con-
text of the quasi-geostrophic (QG) model (see Quasi-
geostrophic Theory). Layered QG models are com-
pletely trivial extensions of the barotropic system:
their evolution is determined by the potential vorticity
qiðx; y; tÞ in each layer i, governedby eqn [11]withqi in
place of o, together with conservation of circulation
along any rigid lateral boundaries thatmay be present.
These are then the dynamical variables. The energy
now includes available potential as well as kinetic
energy, but, apart from some geometric factors repre-
senting the layer depths, one still recovers dH=dqi ¼
�ci in each layer as well as eqn [13] with qi in place of
o. The various invariants follow in the obvious way
with the spatial integrals summed over the different
layers. The same considerations, incidentally, apply to
layered non-QG ‘intermediate’ models that still have
the form of eqn [11] – namely, nondivergent
horizontal advection of the potential vorticity qi
within each layer, with the flow in each layer driven
by the potential vorticity in all layers (as described by
the particular definition of qi).

With continuous stratification and with upper and
lower boundaries (at z ¼ 1 and z ¼ 0, say), there is an
additional effect. It is well known that the temperature
distribution along the upper and lower boundaries is
equivalent to potential vorticity (see Baroclinic Insta-
bility), and independent evolution equations for these
temperature distributions are required to fully specify
the continuously stratified QG system, in addition to

the equation for the interior potential vorticity (the
latter being eqn [11], with q in place of o, applied at
every value of z; thus, the advection of q remains
purely horizontal). The Eadymodel is an extreme case
where the interior potential vorticity is uniform and
the flow is driven entirely by the temperature distri-
butions on the upper and lower boundaries; the
dynamical structures driven from each boundary are
known as Eady edge waves. Since these temperature
distributions also evolve according to eqn [11], with
the QG temperature cz in place of o, it is not
surprising that the same kind ofHamiltonian structure
also applies to this model. The energy is given by eqn
[20].

H ¼
Z Z Z

rs
2

j=cj2 þ 1

S
c2
z

� �
dxdy dz ½20�

In eqn [20], the reference-state density rsðzÞ and
stratification function SðzÞ ¼ N2=f 2 are both pre-
scribed, with NðzÞ the buoyancy frequency and f the
Coriolis parameter, and where = is still just the
horizontal gradient operator. With the potential
vorticity given by eqn [21], where f and b are
constants, eqn [22] follows.

qðx; y; z; tÞ ¼ cxx þ cyy þ
1

rs

rs
S
cz

� �
z
þ f þ by ½21�

dH ¼
Z Z

rs
S
cdcz dx dy

� �z¼1

z¼0

þ
Z Z Z

f= . ðrscd=cÞ � rscdqg dx dy dz
½22�

This is like eqn [12], but with an additional term
involving the temperature variations dcz at the upper
and lower boundaries. Including these as independent
dynamical variables, in addition to q (and possibly
also circulation terms), the governing equations can be
cast in the symplectic form of eqn [13]. The Casimirs
now involve integrals of arbitrary functions of the
temperature on the upper and lower boundaries, in
addition to integrals of arbitrary functions of potential
vorticity in the interior (eqn [23]).

C ¼
Z Z Z

Cðq; zÞ dx dy dz

þ
Z Z

C0ðczÞ dxdy
				
z¼0

þ
Z Z

C1ðczÞ dxdy
				
z¼1

½23�
The momentum invariants similarly extend in
obvious ways: for example, the zonal impulse
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invariant is given by eqn [24].

M ¼
Z Z Z

rsyq dx dy dz

þ
Z Z

rs
S
ycz dx dy

				
z¼0

�
Z Z

rs
S
ycz dx dy

				
z¼1

½24�

The semi-geostrophic (SG) model (see Frontogene-
sis) is widely used inmesoscale dynamics because of its
ability to represent realistic frontal structures. It turns
out that the SG model can also be cast in the form of
eqn [11], and hence in the symplectic form of eqn [13],
provided the equations are written in isentropic–
geostrophic coordinates. However, in these coordi-
nates rigid boundaries appear tomove in time. The SG
equations, in contrast to the QG equations, make no
geometrical distinction between horizontal and verti-
cal boundaries – this is why they are also useful for the
study of coastal dynamics in physical oceanography –
and the samekindof independent dynamical degrees of
freedom encountered in the QG system on upper and
lower boundaries also appear on lateral boundaries. In
the special case of channel walls, these degrees of
freedom correspond to coastal Kelvin waves and are
analogous in some respects to the Eady edge waves
represented by both the QG and SG systems. They
must be taken into account in the variational calcula-
tions, and enter intomany of the resulting expressions.

Unbalanced Models

Balanced models are controlled by the advection of
potential vorticity (perhaps augmented by the advec-
tion of isentropic surfaces on rigid boundaries), so
for such models it is natural to seek a Hamiltonian
description analogous to eqn [13]. However, models
that include a representation of gravity waves or other
high-frequency oscillations, called unbalanced mod-
els, do not fit within this framework. They necessarily
have additional degrees of freedom. For suchmodels, a
description in terms of the velocity field is a more
natural way to reflect the Hamiltonian structure. For
example, the rotating shallow-water equations [25]
with vðx; y; tÞ ¼ ðu; vÞ the horizontal velocity,hðx; y; tÞ
the fluid depth, g the gravitational acceleration, and
with constant f , conserve the energy (eqn [26]).

qv
qt

þ ðf ẑzþ =3 vÞ3 vþ =
1

2
jvj2

� �
¼ �g=h;

qh
qt

þ = . ðhvÞ ¼ 0 ½25�

H ¼
Z Z

1

2
fhjvj2 þ gh2g dxdy ½26�

The dynamical variables are v and h, for which eqns
[27] hold.

dH
dv

¼ hv;
dH
dh

¼ 1

2
jvj2 þ gh ½27�

Note that no integration by parts is necessary in this
case; this is characteristic of velocity-based represen-
tations of the dynamics. It can easily be verified that
eqns [25]may be cast in the symplectic form ðqu=qtÞ ¼
JðdH=duÞ with u ¼ ðu; v; hÞ with J given by eqn [28],
where q ¼ ðf þ ẑz .=3 vÞ=h is the potential vorticity of
the shallow-water system.

J ¼
0 q �qx
�q 0 �qy
�qx �qy 0

0
@

1
A ½28�

The matrix (28) is evidently skew-symmetric; the
signs on the derivative terms are indeed correct,
since first-order differential operators are themselves
skew-symmetric, as with the J in eqn [13]. The
zonal (absolute) momentum invariant is given as
expected by eqn [29], for which it is easy to verify
that JðdM=duÞ ¼ �qu=qx in line with Noether’s
theorem, and the other momentum invariants follow
similarly.

M ¼
Z Z

hðu� fyÞ dx dy ½29�

The Casimirs are given by eqn [30] for arbitrary
functions Cð�Þ.

C ¼
Z Z

hCðqÞ dxdy ½30�

Thus, potential vorticity still plays a crucial role in the
Hamiltonian description of the dynamics. Special
cases of Casimirs are total mass ðC ¼ 1Þ and total
circulation ðC ¼ qÞ.

Stratification is easily incorporated. The hydrostatic
primitive equations can be cast in Hamiltonian form
isomorphic to that of eqn [28] when expressed in
isentropic coordinates. Even the fully compressible
stratified Euler equations, which form the most
general system imaginable for (dry) dynamical mete-
orology, can be cast in an analogous form, although
there are now additional dynamical variables associ-
atedwith compressibility. TheCasimirs are in this case
given by eqn [31], where rðx; y; z; tÞ is the density,
yðx; y; z; tÞ is the potential temperature, andq ¼ ½ðf ẑzþ
=3 vÞ .=y�=r is the Ertel potential vorticity, with v
and = now acting in all three space dimensions.

C ¼
Z Z Z

rCðq; yÞ dxdy dz ½31�
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The invariance of the Casimirs is of course evident
directly from the dynamical equations (eqn [32]) and
reflects the material invariance of q and y.

qq
qt

þ v .=q ¼ 0;
qy
qt

þ v .=y ¼ 0;

qr
qt

þ = . ðrvÞ ¼ 0 ½32�

The fully compressible stratified Euler equations
are, in fact, a straightforward expression of Newton’s
second law, without constraints such as hydrostatic
balance, provided they are expressed in Lagrangian
coordinates (see Lagrangian Dynamics). In Lag-
rangian coordinates, the dynamical variables are the
positions and momenta of fluid elements, which are
natural canonical variables. The thermodynamic fields
can be expressed in terms of these variables: r can be
written in terms of the Jacobian of particle positions
(which describes the compression of the fluid), while y
can just be chosen as one of the Lagrangian coordi-
nates. In this way, the fully compressible stratified
Euler equations represent a canonical Hamiltonian
system. But there are six dynamical variables in the
Lagrangian description, compared with only five in
the Eulerian description; in transforming to Eulerian
coordinates, a reduction of the phase space takes
place. This is where the potential vorticity comes in. In
Lagrangian coordinates, the potential vorticity is still
materially conserved; but what symmetry does it
correspond to? The answer is a particle-relabeling
symmetry: if one rearranges fluid elements while
preserving the same Eulerian fields, then the dynamics
is unchanged. There is just enough freedom to do this,
because there is one more Lagrangian than Eulerian
variable. Upon reduction to the Eulerian description,
this additional degree of freedom disappears, and the
particle-relabeling symmetry becomes invisible. That
is why potential vorticity conservation then appears in
the form of a Casimir invariant.

Disturbance Invariants

Probably the most powerful application of Hamilto-
nian dynamics to dynamical meteorology arises in the
context of studying the properties of disturbances to
basic states. In fluid dynamics, the question of how to
define the energy of a wave has often been a point of
confusion if not contention. For example, in the case of
a basic flow, if the wave energy is defined as the energy
in the frame of reference moving with the basic flow,
then it is positive definite but not conserved. On the
other hand, if it is defined as the difference energy
relative to the basic-flow energy, then it is conserved

but not positive definite. One would like both prop-
erties in order to define normal modes, spectra, etc.
Another problem, at first sight unrelated, arises with
momentum. The momentum of a wave would appear
to be zero (the average of a sinusoid is zero), yet waves
can certainly transfer momentum; this is what drives
the quasi-biennial oscillation in the tropical strato-
sphere, for example (see Middle Atmosphere: Quasi-
BiennialOscillation).How is one to describe thiswave
momentum?

In canonical Hamiltonian mechanics, the distur-
bance energy about an equilibrium is always quadrat-
ic; from this one assesses stability and defines normal
modes. There is no ambiguity. So why are things not
equally clear for fluid dynamics? The answer lies in the
noncanonicalHamiltonian structure of virtually every
fluid dynamical system in the Eulerian representation.
If u ¼ U is a steady solution of a Hamiltonian system,
then eqn [33] holds.

J
dH
du

				
u¼U

¼ 0 ½33�

For a canonical system, the invertibility of J then
implies that dH=du ¼ 0 at u ¼ U. This means thatU is
a conditional extremum of H, and H½u� � H½U� is
quadratic in the disturbance. However, for a non-
canonical system none of this follows and the distur-
bance energy is generally linear in the disturbance.

Pseudoenergy

Hamiltonian structure provides the solution to this
quandary. Equation [33] is locally the same as the
equation defining the Casimirs, which means that
dH=du is locally parallel to dC=du for some C (a
different C for each choice ofU). In other words, there
exists a Casimir C such that eqn [34] holds.

dH
du

				
u¼U

¼ � dC
du

				
u¼U

½34�

Now, both H and C are invariants, and the com-
bined invariantHþ C satisfies the extremal condition
dðH þ CÞ ¼ 0 at u ¼ U. We have thus constructed
whatwewanted, namely a disturbance quantity that is
conserved and is locally quadratic in the disturbance
(eqn [35]).

A ¼ ðH þ CÞ½u� � ðH þ CÞ½U� ½35�
This quantity is known as the pseudoenergy. Provided
one has a complete set of Casimirs, eqn [34] can
always be solved for a Hamiltonian system and the
pseudoenergy can always be constructed according to
eqn [35]. This is one of the great attractions of
Hamiltonian dynamics: it provides systematic recipes
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in abstract terms, which can be worked out for any
particular application.

Aparticularly illuminating application is the subject
of available potential energy, highly useful in energy
budget analyses. We demonstrate the method in the
case of the three-dimensional stratified Boussinesq
equations. The energy is given by eqn [36].

H ¼
Z Z

1

2
rsjvj2 þ rgz

� �
dx dy dz ½36�

Here rs is the constant reference-state density, and the
dynamical variables are v and r, for which eqns [37]
hold.

dH
dv

¼ rsv;
dH
dr

¼ gz ½37�

The term rgz in eqn [36] is the gravitational potential
energy, and is linear in the dynamical variables.
Now consider disturbances to a stably stratified,
resting basic state v ¼ 0; r ¼ r0ðzÞ. Although the
Casimirs of this system include functions of the
potential vorticity, because the basic state is at rest,
dH=dv ¼ 0 at v ¼ 0 and this dependence is unneces-
sary, so we may consider Casimirs of the form of
eqn [38].

C ¼
Z Z Z

CðrÞ dx dy dz with
dC
dr

¼ C0ðrÞ ½38�

Equation [34] then leads to the condition
C0ðr0Þ ¼ �gz. This is the defining relation for the
function Cð�Þ. Thus, one has to express gz in terms of
the same argument r0. This can be done by inverting
the functional dependence r0ðzÞ to obtain Zðr0Þ,
where Zðr0ðzÞÞ ¼ z. This is always possible provided
r0ðzÞ is monotonic, which is the case for a stably
stratified basic state. One then has eqn [39].

CðrÞ ¼ �
Z r

gZð~rrÞ d~rr ½39�

From this the pseudoenergy of eqn [35] takes the form
[40].

A ¼
Z Z Z

rs
2
jvj2 þ ðr� r0Þgz

n

�
Z r

r0

gZð~rrÞ d~rr
o
dx dy dz ½40�

The first term in the spatial integrand is the kinetic
energy and is positive definite; the last two terms can
be rewritten as in eqn [41].

�
Z r�r0

0

g½Zðr0 þ ~rrÞ � Zðr0Þ� d~rr ½41�

This is self-evidently positive definite for dr0=dzo0
and has the small-amplitude quadratic approximation
[42].

� gðr� r0Þ2
2ðdr0=dzÞ

½42�

Equation [41] is the exact, finite-amplitude expression
for the available potential energy (see General Circu-
lation: Energy Cycle) of disturbances to a stably
stratified, resting basic state r0ðzÞ, while eqn [42] is its
more familiar small-amplitude counterpart, widely
used in the theory of internal gravity waves (see
Buoyancy and Buoyancy Waves: Theory). Similar
constructions can be performed to define the available
potential energy of any stratified fluid system.

Although the small-amplitude expression of eqn
[42] appears to be singular in regions where
dr0=dz ¼ 0, the finite-amplitude expression of eqn
[41] remains perfectly well-defined in such regions.

Pseudomomentum

The same kind of reasoning can be applied for
disturbances to zonally symmetric (x-invariant) basic
states, assuming that the underlying system possesses
the same symmetry. For such states, with qU=qx ¼ 0,
Noether’s theorem implies that the zonal impulse or
momentum invariant satisfies eqn [43].

J
dM
du

				
u¼U

¼ 0 ½43�

But just as with eqn [33], there is a Casimir C such that
dðMþ CÞ ¼ 0 at u ¼ U; with this C, one may imme-
diately construct the invariant [44], which is quadratic
to leading order in the disturbance.

A ¼ ðMþ CÞ½u� � ðMþ CÞ½U� ½44�
This quantity is known as the pseudomomentum.

We calculate the pseudomomentum for the case of
barotropic flow on the beta-plane. Suppose we are
given a monotonic basic state q0ðyÞ. From eqns [14]
and [16], with q in place of o, we have eqn [45].

dM
dq

¼ y;
dC
dq

¼ C0ðqÞ ½45�

The extremal condition dðMþ CÞ ¼ 0 at q ¼ q0 then
leads to C0ðq0Þ ¼ �y. This is now isomorphic to the
construction of the available potential energy, replac-
ing gz with y and r with q. If we define the function
Yð�Þ by Yðq0ðyÞÞ ¼ y, then evidently eqn [46] holds.

A ¼
Z Z

�
Z q�q0

0

½Yðq0 þ ~qqÞ � Yðq0Þ� d~qq
� �

dx dy

½46�
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The small-amplitude approximation to the spatial
integrand is given by eqn [47].

� ðq� q0Þ2
2ðdq0=dyÞ ½47�

Equations [46] and [47] are evidently negative definite
for dq0=dy > 0,which is the casewhenq0 is dominated
by by. These rather peculiar expressions have no
obvious relation to zonal momentum at first sight, but
they nevertheless explain why it is that Rossby waves
always exert an eastward (positive) force when they
leave a source region, and a westward (negative) force
when they dissipate and deposit their momentum in a
sink region: they carry negative pseudomomentum.

The general nature of the derivation ensures that
exactly the same expressions hold for any balanced
model having the basic form of eqn [13]. If the basic
stateq0 is chosen to be the zonalmean �qq, then the zonal
mean of eqn [47] becomes eqn [48], where q0 ¼ q� �qq.

� q02

2�qqy
½48�

In the case of stratified QG dynamics, the negative of
eqn [48] is known as the Eliassen–Palm wave activity
(see Middle Atmosphere: Zonal Mean Climatology),
which has beenwidely used in dynamical meteorology
to assess the effect of Rossby waves on the zonal mean
flow. It is such an effective diagnostic precisely because
it represents negative pseudomomentum. Moreover,
and importantly, its use is not restricted to waves. The
exact, finite-amplitude expression of eqn [46] ensures
that the concept of pseudomomentum applies to fully
nonlinear, even turbulent disturbances.

The robust negative definiteness of the pseudomo-
mentumof balanced disturbances explains a great deal
about the general circulation of the atmosphere.
Propagation of synoptic-scale Rossby waves away
from their source region in the baroclinic storm tracks
implies an eastward force in the storm track regions,
accounting for the maintenance of the westerlies
(see General Circulation: Momentum Budget).
The westward momentum deposition associated
with breaking planetary-scale Rossby waves in the
stratosphere drives the poleward Brewer–Dobson
circulation (see Middle Atmosphere: Zonal Mean
Climatology), which is responsible for the observed
distribution of ozone and other chemical species in the
stratosphere.

Stability Theorems

Thepseudoenergy and pseudomomentumare, by their
construction, conserved quantities that are quadratic

to leading order in the disturbance quantities. In fact,
their quadratic approximations are exactly conserved
by the linearized dynamics. (The quadratic approxi-
mation to the pseudoenergy is the Hamiltonian of the
linearized dynamics.) When either of these quantities
is sign-definite for a given basic state, it follows that
that basic state is stable to normal-mode instabilities.
Indeed, in order to reconcile exponentially growing
disturbances with conservation of pseudoenergy and
pseudomomentum, the latter quantities must vanish
for such disturbances. This fact provides a useful
constraint on the structure of normal-mode instabi-
lities, as well as a powerful unifying framework
between different models.

This simple framework accounts for virtually every
known stability theorem in dynamical meteorology.
For resting, stratified basic states in unbalanced
models, with pseudoenergy like eqn [40] for the
Boussinesq model, the condition of positive definite
pseudoenergy is the statement of static stability (see
Static Stability). For basic flows in axisymmetric or
symmetric stratified unbalanced models, the same
condition is the statement of symmetric stability (see
Instability: Symmetric Stability), which reduces to
Rayleigh’s centrifugal stability theorem in the special
case of axisymmetric homogeneous flow (see Instabil-
ity: Inertial Instability). These stability theorems are
all quite analogous to static stability. A different
situation arises for balanced models. There, the
pseudoenergy can take either sign depending on the
basic flow. The positive-definite and negative-definite
cases correspond respectively to Arnol’d’s first and
second stability theorems. (They are analogous to the
stability of a rigid body rotating about an axis of
symmetry corresponding respectively to a maximum
orminimummoment of inertia.) In the special case of a
parallel basic flow, Arnol’d’s first theorem states that
the flow is stable if u0=ðdq0=dyÞo0, which is the
Fj�rtoft–Pedlosky theorem.

With regard to pseudomomentum for balanced
models, eqn [46] is sign-definite whenever dq0=dy is
sign-definite. For barotropic flow with q ¼ o, this
corresponds toRayleigh’s inflection-point theorem;on
the beta-plane with q ¼ oþ by, to the Rayleigh–Kuo
theorem; and for stratifiedQGflowwith q given either
by its multilevel forms qi or by eqn [21] in the
continuously stratified case, to the Charney–Stern
theorem. For stratifiedQGdynamics in the presence of
a lower boundary, the second terms of eqns [23] and
[24] become relevant and there is an additional
contribution to the pseudomomentum involving the
temperature distribution on the lower boundary; it is
isomorphic to the interior eqns [46]–[48], replacing q
withcz. Since the climatological temperature gradient
along the Earth’s surface is towards the Equator, the
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pseudomomentum associated with surface distur-
bances is generally positive. In this case the Charney–
Stern stability criterion is not satisfied for observed
flows; on the other hand, normal-mode instabilities are
generally required to involve both temperature distur-
bances on the lower boundary and potential-vorticity
disturbances in the interior, in order to create a
disturbance with zero total pseudomomentum. The
Charneymodel of baroclinic instability (seeBaroclinic
Instability) is the best-known example of this. In the
presence of an upper boundary, there is a further
contribution to the pseudomomentum, with opposite
sign to the lower contribution in accord with eqn [24].
Thus in the Eadymodel of baroclinic instability, where
the potential vorticity is uniform and the interior
contribution to the pseudomomentum disappears, the
instability can arise from the interaction of distur-
bances on the upper and lower boundaries that
together add up to zero total pseudomomentum.

These statements all concern normal-mode stability.
But what can be said about stability goesmuch further
than this. The existence of finite-amplitude distur-
bance invariants suggests the possibility of nonlinear,
or Liapunov stability: namely, that small disturbances
stay small for all time, where small is defined in terms
of some disturbance norm. Mathematically, we say
that a basic stateU is Liapunov stable to disturbances
u0 in a given norm jju0jj if for all e > 0 there exists a
dðeÞ > 0 such that eqns [49] hold.

jju0ð0Þjjod ) jju0ðtÞjjoe for all t ½49�
Let us see how this applies to static stability for
the Boussinesq model considered earlier. Suppose that
the basic state has dr0=dzo0 and that furthermore the
basic-state density gradients are bounded according to
[50] for some constants c1; c2.

0oc1 � �g
dZ

dr0
¼ � g

dr0=dz
� c2o1 ½50�

Then eqn [41] for the available potential energy is
bounded from above and below according to eqn [51].

1

2
c1ðr� r0Þ2 � ½41� � 1

2
c2ðr� r0Þ2 ½51�

Define the disturbance norm by eqn [52], with
c1 � l � c2.

jjðv; r� r0Þjj2

¼
Z Z Z

1

2
frsjvj2 þ lðr� r0Þ2g dxdy dz ½52�

Then using eqn [51] we obtain the chain [53] of
inequalities, valid for any time t, involving the

pseudoenergy A of eqn [40].

jjðv; r� r0ÞðtÞjj2 � l
c1

AðtÞ ¼ l
c1

Að0Þ

� c2
c1

jjðv;r� r0Þð0Þjj2 ½53�

With the choice d ¼ ffiffiffiffiffiffiffiffiffiffiffi
c1=c2

p
e, eqn [53] establishes

Liapunov stability in the norm defined by eqn [52].
Conservation of pseudoenergy is clearly central to the
proof.

The finite-amplitude stability of stably stratified flow
is not too surprising; it corresponds to physical intui-
tion, and indeedmotivates the very concept of available
potential energy, which has a long pedigree. What is
perhaps more surprising is that exactly the same kinds
of constructions can be made for all of the stability
theoremsmentionedabove, and for virtually anymodel
within the same family. They can also be used to obtain
rigorous upper bounds on the saturation of normal-
mode instabilities, by considering the initial unstable
flow (plus infinitesimal disturbance) to be a finite-
amplitude disturbance to a stable basic state.

See also

Baroclinic Instability. Buoyancy and Buoyancy
Waves: Theory. Dynamic Meteorology: Balanced
Flows; Potential Vorticity. Frontogenesis. General Cir-
culation: Energy Cycle; Momentum Budget. Instability:
Inertial Instability; Symmetric Stability. Lagrangian Dy-
namics. Middle Atmosphere: Quasi-Biennial Oscilla-
tion; Zonal Mean Climatology. Quasi-geostrophic
Theory. Static Stability.
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Introduction

Atmospheric humidity is the amount of water vapor
present in the atmosphere. Both the rate of evaporation
and the timeandplace that condensationof cloudwater
occurs are controlledbyhumidity.Determinationof the
atmospheric humidity is important for determining
surface evaporation, atmospheric radiative transfer,
and certain chemical reactions in the atmosphere.

Vapor Pressure

The partial pressure of water vapor, e, is used as the
fundamental measure of water vapor content in the
atmosphere. Using Dalton’s law of partial pressures,
we can use the ideal gas law to write the following
expression for water vapor pressure:

e ¼ rvRvT ½1�
where rv is the water vapor density (often referred to
as the absolute humidity), Rv is the specific gas
constant for water, and T is the atmospheric temper-
ature. The atmospheric relative humidity is defined as
the ratio of the atmospheric vapor pressure to the
equilibrium (or saturation) vapor pressure at the
temperature of the air, es.

To understand what is meant by the saturation
vapor pressure, we must first examine the equilibria
between phases. Consider a closed container half full
of pure water and overlain by dry air. As the water
begins to evaporate from the water surface, a small
increase in pressure is detected in the air above,
resulting from the motion of the water vapor mole-
cules that are added to the air through evaporation. As
more and more molecules escape from the water
surface in the closed container, the steadily increasing
vapor pressure in the air above forces more and more
of these molecules to return to the liquid. Eventually
an equilibrium is reached where the number of water
vapor molecules returning to the surface balances the
number leaving. At that point the air is said to be
saturated with water vapor, and the partial pressure of
the water vapor is equal to the saturation vapor
pressure. The relative humidity is equal to unity (or
100%). If the temperature of the water in the closed
container were increased, more water would evapo-
rate before a balance was reached.

A rigorous derivation of the saturation vapor
pressure can be accomplished from the second law of
thermodynamics. For the liquid–vapor equilibrium,
we can write the Clausius–Clapeyron equation as
follows,

des
dT

¼ Llves
RvT2

½2�

whereLlv is the latent heat of vaporization (energy per
unit mass). At any given temperature, eqn [2] states
that there is one and only one pressure at which water
vapor is in equilibrium with liquid water, with the
saturation vapor pressure increasing approximately
exponentially with increasing temperature.

Integration of eqn [2] is made difficult owing to the
variation of the latent heat of vaporization with
temperature. Additionally, application of the Clau-
sius–Clapeyron equation to determining the satura-
tion vapor pressure in the atmosphere is not strictly
valid because of the presence of other gases. Hence
empirical values of the saturation vapor pressure are
typically used (shown in Table 1).

These empirical values of saturation vapor pressure
can be represented by a sixth-order polynomial:

es ¼ a1 þ
X7
n¼2

anðT � TtrÞn�1 ½3�

where Ttr, the so-called ‘triple point’ of water, is
273.15K, and the coefficients for the saturation
vapor pressure over water and over ice are as given
in Table 2. Note that, at a given temperature, the
saturation vapor pressure over ice is smaller than the
saturation vapor pressure over liquid water; this is
because the latent heat of sublimation (associatedwith
the phase transition between vapor and ice) is larger
than the latent heat of vaporization.

Humidity Variables

Values of the saturation vapor pressure are used in the
determination of some of the commonly used atmos-
pheric humidity variables. A wide variety of different
humidity variables are used in atmospheric science.
The reasons for this are partly historical and partly
related to the different methods by which atmospheric
humidity is measured. Given information about the
ambient atmospheric temperature and pressure, one
humidity variable can be used to determine each of the
other humidity variables.
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The relative humidity,H, is defined as

H ¼ e

es
½4�

and Hi, the relative humidity with respect to ice
saturation, is defined as

Hi ¼ e

esi
½5�

where esi is the saturation vapor pressure over ice. The
relative humidity is the ratio of the actual partial
pressure of water vapor in the air to the saturation
vapor pressure, and is a function only of e and T. It is

commonly multiplied by 100 and expressed as a
percentage. Relative humidity can be changed if
moisture is added or removed (which changes e), or
if the air temperature changes (which changes es). At
temperatures below 01C, it is necessary to specify
whether the relative humidity is being evaluated
relative to the saturation vapor pressure over liquid
water or over ice. Table 3 shows that an atmosphere
saturated with respect to liquid water is supersaturat-
ed with respect to ice, and that the degree of supersat-
uration increases with the supercooling.

The water vapor mass mixing ratio, wv, is the ratio
of the mass of water vapor (mv) present to the mass of
dry air ðmdÞ. It is thus defined, after substituting from
the ideal gas law [1], as

wv ¼ mv

md
¼ rv

rd
¼ e

e

p� e
½6�

Table 1 Saturation pressures over pure liquid water and pure ice as a function of temperature

T (1C) ew (hPa) ei (hPa) T (1C) ew (hPa) ei (hPa) T (1C) ew (hPa) T (1C) ew (hPa)

� 50 0.0635 0.0393 � 24 0.8826 0.6983 1 6.565 26 33.606

� 49 0.0712 0.0445 � 23 0.9647 0.7708 2 7.054 27 35.646

� 48 0.0797 0.0502 � 22 1.0536 0.8501 3 7.574 28 37.793

� 47 0.0892 0.0567 � 21 1.1498 0.9366 4 8.128 29 40.052

� 46 0.0996 0.0639 � 20 1.2538 1.032 5 8.718 30 42.427

� 45 0.1111 0.0720 � 19 1.3661 1.135 6 9.345 31 44.924

� 44 0.1230 0.0810 � 18 1.4874 1.248 7 10.012 32 47.548

� 43 0.1379 0.0910 � 17 1.6183 1.371 8 10.720 33 50.303

� 42 0.1533 0.1021 � 16 1.7594 1.505 9 11.473 34 53.197

� 41 0.1704 0.1145 � 15 1.9114 1.651 10 12.271 35 56.233

� 40 0.1891 0.1283 � 14 2.0751 1.810 11 13.118 36 59.418

� 39 0.2097 0.1436 � 13 2.2512 1.983 12 14.016 37 62.759

� 38 0.2322 0.1606 � 12 2.4405 2.171 13 14.967 38 66.260

� 37 0.2570 0.1794 � 11 2.6438 2.375 14 15.975 39 69.930

� 36 0.2841 0.2002 � 10 2.8622 2.597 15 17.042 40 73.773

� 35 0.3138 0.2232 � 9 3.0965 2.837 16 18.171 41 77.798

� 34 0.3463 0.2487 � 8 3.3478 3.097 17 19.365 42 82.011

� 33 0.3817 0.2768 � 7 3.6171 3.379 18 20.628 43 86.419

� 32 0.4204 0.3078 � 6 3.9055 3.684 19 21.962 44 91.029

� 31 0.4627 0.3420 � 5 4.2142 4.014 20 23.371 45 95.850

� 30 0.5087 0.3797 � 4 4.5444 4.371 21 24.858 46 100.89

� 29 0.5588 0.4212 � 3 4.8974 4.756 22 26.428 47 106.15

� 28 0.6133 0.4668 � 2 5.2745 5.173 23 28.083 48 111.65

� 27 0.6726 0.5169 � 1 5.6772 5.622 24 29.829 49 117.40

� 26 0.7369 0.5719 � 0 6.1070 6.106 25 31.668 50 123.39

� 25 0.8068 0.6322 F F F F F F F

Table 2 Coefficients of the sixth-order polynomial fits to satura-

tion vapor pressure for the temperature range �501 to 501C for

both liquid water and ice

Coefficient Liquid water Ice

a1 6.111 76750 6.109 52665

a2 0.443 986062 0.501 948366

a3 0.143 053301�10� 1 0.186 288989�10� 1

a4 0.265 027242�10� 3 0.403 488906�10� 3

a5 0.302 246994�10� 5 0.539 797852�10� 5

a6 0.203 886313�10� 7 0.420 713632�10� 7

a7 0.638 780966�10� 10 0.147 271071�10� 9

After Flatau PJ, Walko RL, Cotton WR (1992) Polynomial fits to

saturation vapor pressure. Journal of Applied Meteorology 31:

1507–1513.

Table 3 Variation of H i with T for constant H51

T (1C) H H i

0 1.0 1.0

�10 1.0 1.10

�20 1.0 1.22

�30 1.0 1.34

�40 1.0 1.47
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where e ¼ Mv=Md ¼ 0:622 is the ratio of the molec-
ular weight of water to the molecular weight of the
mixture of dry air gases, rd is the density of dry air, and
p is total atmospheric pressure.

A value of the saturation mass mixing ratio, ws, is
given by

ws ¼ e
es

p� es
½7�

Expressions for e and es from eqns [6] and [7] can be
substituted into eqn [4]. Since p�e and p�es,

H 	 wv

ws
½8�

is an approximate definition of the relative humidity.
The specific humidity is defined as the ratio of the

mass of water vapor to the total mass of atmospheric
gases. The water vapor mixing ratio can be related to
the specific humidity, qv, as

qv ¼ mv

md þmv
¼ e

e

p� ð1� eÞe ¼
wv

1þwv
½9�

Since both wv and qv are always smaller than 0.04 in
the Earth’s atmosphere, qv	wv.

The total mass of water vapor in a column of unit
cross-sectional area extending from the surface to the
top of the atmosphere is called the precipitable water,
Wv:

Wv ¼
Z 1

0

rv dz ½10�

where z is height above the Earth’s surface. The term
‘precipitable water’ is used because, if all the vapor in
the column were to be condensed into a pool of liquid
at the base of the column, the depth of the pool would
be equal to Wv=rl, where rl is the density of liquid
water. To obtain a relationship between precipitable
water and specific humidity, we can write eqn [10] in
terms of pressure by incorporating the hydrostatic
equation:

Wv ¼ 1

g

Z p0

p

rv
ra

dp ¼ 1

g

Z p0

p

qv dp ½11�

where p0 is the surface pressure, corresponding to
z ¼ 0 and ra is the air density.

The dew point temperature, denoted by TD, is
defined as the temperature to which moist air must be
cooled, the atmospheric pressure and water vapor
mixing ratio remaining constant, such that it becomes
just saturated with respect to water. Obviously, at TD

the mixing ratio of the air becomes its saturation
mixing ratio

wv ¼ wsðTDÞ ½12�

or equivalently

e ¼ esðTDÞ ½13�
We can determine the dew point temperature by
inverting either eqn [12] or eqn [13], which can be
done using eqns [3] and [6]. Although the dew point
temperature is expressed in Kelvin, the dew point
temperature is a measure not of temperature, but of
atmospheric humidity. The term T � TD is called the
dew point depression. Dew point depression is in-
versely proportional to relative humidity; a relative
humidity of 100% corresponds to a dew point
depression of zero.

Analogously to the dew point temperature, we
define the frost point temperature as the temperature
at which ice saturation occurs. The frost point
temperature, TF, is thus defined as

e ¼ esiðTFÞ ½14�
or equivalently as

wv ¼ wsiðTFÞ ½15�
wherewsi is the saturation mass mixing ratio over ice.
Note that for a given atmospheric mixing ratio,
TFoTD, since esiðTÞoesðTÞ.

Example Calculations

Air has temperature of 301C, a relative humidity of
50%, and a pressure of 1000 hPa. This information
can be used to determine each of the humidity
variables for these conditions:

partial pressure of water vapor; e ¼ 21:2 hPa

water vapormixing ratio; wv ¼ 0:0135

specific humidity; qv ¼ 0:0133

dewpoint temperature; TD ¼ 291:8K

See also

Climate Variability: Glacial, Interglacial Variations.
Satellite Remote Sensing: Water Vapor. Thermo-
dynamics: Moist (Unsaturated) Air; Saturated Adiabatic
Processes.

Further Reading

Curry JA and Webster PJ (1999) Thermodynamics of
Atmospheres and Oceans. San Diego: Academic Press.

Flatau PJ,Walko RL and CottonWR (1992) Polynomial fits
to saturation vapor pressure. Journal of Applied Meteo-
rology 31: 1507–1513.
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Introduction

‘Hurricane’ is the term used in the Western Hemi-
sphere for one of the general class of strong tropical
cyclones, including western Pacific typhoons and
similar systems, that are known simply as cyclones in
the Indian and southern Pacific Oceans. A tropical
cyclone is a low-pressure system which derives its
energy primarily from evaporation from the sea in the
presence of 1-minute sustained surface wind speeds
417m s� 1 and the associated condensation in con-
vective clouds concentrated near its center. In contrast,
midlatitude storms (low-pressure systems with
associated fronts) get their energy primarily from
the horizontal temperature gradients that exist in
the atmosphere. Structurally, the strongest winds
in tropical cyclones are near the Earth’s surface
(a consequence of being ‘warm-core’ in the tropo-
sphere), while the strongest winds in midlatitude
storms are near the tropopause (a consequence of
being ‘warm-core’ in the stratosphere and ‘cold-core’
in the troposphere). ‘Warm-core’ refers to being
warmer than the environment at the same pressure
surface.

A tropical cyclone with the highest sustained wind
speeds between 17 and 32m s�1 is referred to as a
tropical storm, whereas a tropical cyclone with
sustained wind speeds Z33m s� 1 is referred to as a
hurricane or typhoon. Once a tropical cyclone has
sustained windsZ50m s�1 it is referred to as a major
hurricane or super typhoon. In the Atlantic and
eastern Pacific Oceans hurricanes are also classified
by the damage they can cause using the Saffir–Simpson
scale (Table 1).

The Saffir–Simpson scale categorizes hurricanes on
a scale from 1 to 5, with 1 the weakest and 5 the most
intense. Major hurricanes correspond to categories 3
and higher. The reasons that some disturbances

intensify to a hurricane, while others do not, are not
well understood. Neither is it clear why some tropical
cyclones become major hurricanes, while others do
not. Major hurricanes produce 80–90% of the United
States hurricane-caused damage despite accounting
for only one-fifth of all landfalling tropical cyclones.
Only two category 5 hurricanes made landfall on the
mainland United States (Florida Keys 1935 and
Camille 1969). Recent major hurricanes to make
landfall on the United States were Hurricanes Bonnie
and Georges in 1998, and Bret and Floyd in 1999.

As with large-scale extratropical weather systems,
the structure and evolution of a tropical cyclone is
dominated by the fundamental contradiction that
while the airflow within a tropical cyclone represents
an approximate balance among forces affecting each
air parcel, slight departures from balance are essential
for vertical motions and resulting clouds and precip-
itation, as well as changes in tropical cyclone intensity.
As in extratropical weather systems, the basic vertical
balance of forces in a tropical cyclone is hydrostatic
except in the eyewall, where convection is superim-
posed on the hydrostatic motions. However, unlike in
extratropical weather systems, the basic horizontal
balance in a tropical cyclone above the boundary layer
is between the sum of the Coriolis ‘acceleration’ and
the centripetal ‘acceleration’, balanced by the hori-
zontal pressure gradient force. This balance is referred
to as gradient balance, where the Coriolis ‘accelera-
tion’ is defined as the horizontal velocity of an air
parcel, v, times the Coriolis parameter, f . (f is the
Coriolis parameter (f ¼ 2O sinf), where O is the
angular velocity of the Earth (7.292� 10� 5 s� 1) and
f is latitude. The Coriolis parameter is zero at the
equator and 2O at the pole.) Centripetal ‘force’ is
defined as the acceleration on a parcel of air moving in
a curved path, directed toward the center of curvature
of the path, with magnitude v2=r, where v is the
horizontal velocity of the parcel and r the radius of
curvature of the path. The centripetal force alters the
original two-force geostrophic balance and creates a
nongeostrophic gradient wind.

Table 1 Saffir–Simpson scale of hurricane intensity

Category Pressure (hPa) Wind (ms� 1) Storm surge (m) Damage

1 4980 33–42 1.0–1.7 Minimal

2 979–965 43–49 1.8–2.6 Moderate

3 964–945 50–58 2.7–3.8 Extensive

4 944–920 59–69 3.9–5.6 Extreme

5 o920 Z70 Z5.7 Catastrophic
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The inner region of the tropical storm, termed the
cyclone ‘core’, contains the spiral bands of precipita-
tion, the eyewall, and the eye that characterize tropical
cyclones in radar and satellite imagery (Figure 1). The
primary circulation – the tangential or swirling wind –
in the core becomes strongly axisymmetric as the
cyclone matures. The strong winds in the core, which
occupies only 1–4% of the cyclone’s area, threaten
human activities and make the cyclone’s dynamics
unique. In the core, the local Rossby number is always
41 and may be as high as 100. The Rossby number
indicates the relative magnitude of centrifugal (v=r)
and Coriolis (f ) accelerations, Ro ¼ V=fr, where V is

the axial wind velocity, f the Coriolis parameter, and r
the radius from the storm center. An approximate
breakdown of regimes is: Roo1, geostrophic flow;
Ro > 1, gradient flow; and Ro > 50, cyclostrophic
flow. When the Rossby number significantly exceeds
unity, the balance in the core becomes more cyclo-
strophic, where the pressure gradient force is almost
completely balanced by the centrifugal ‘force’. The
time scales are such that air swirling around the center
completes an orbit in much less than a pendulum day
(defined as 1=f ).

When the atmosphere is in approximate horizontal
and vertical balance, the wind and mass fields are
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Figure 1 NOAA-14 AVHRRmultispectral false color image of Hurricane Floyd at 2041 UTC, 13 September 1999 about 800 km east of

southern Florida. (Photo courtesy of NOAA Operationally Significant Event Imagery website: http://www.osei.noaa.gov/.)
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tightly interconnected. The distribution of a single
mass or momentum variable may be used as a starting
point to infer the distribution of all other such
variables. One such variable is potential vorticity
(PV), approximately equal to the vorticity times
the thermal stratification, which is related to the
three-dimensional mass and momentum fields
through an inverse second-order Laplacian-like oper-
ator. The benefit of such a relationship is that PV
variations in a single location are diagnostically
related to variations in mass and wind fields at a
distance. Areas of high PV correspond locally to low
mass, or cyclones, while areas of lowPV correspond to
anticyclones.

Typical extratropical weather systems contain
high PV values around 0.5� 10� 6m 2 s� 1K kg�1

(0.5 PVU) to 5 PVU, whereas typical values in the
tropical cyclone core areZ10PVU.Figure 2 shows the
wind and mass fields associated with an idealized
axially symmetric tropical cyclone PV anomaly with
the PV concentrated near the surface rather than in a
vertical column. The cyclonic anomaly (positive in the
Northern Hemisphere) is associated with a cyclonic
circulation that is strongest at the level of the PV
anomaly near the surface, and decreases upward.
Temperatures are anomalously warm above the PV
anomaly (isentropic surfaces are deflected down-

ward). While consistent with the simple PV distribu-
tion, the wind and mass fields are also in horizontal
and vertical balance. The tropical cyclone being a
warm-core vortex, the PV inversion dictates that the
winds that swirl about the center decrease with
increasing height, but they typically fill the depth of
the troposphere. If the PV reaches values Z10 PVU,
the inner region winds can become intense, as in
Hurricane Gloria (Figure 3). Gloria had PV values
exceeding 500 PVU just inside the radius of maximum
winds of 15 km where the axisymmetric mean tan-
gential winds exceeded 65m s�1.

Many features in the core, however, persist with
little change for (pendulum) days (mean life span of a
tropical cyclone is about 5–10 days). Because these
long lifetimes represent tens or hundreds of orbital
periods (B1h), the flow is nearly balanced.Moreover,
at winds 435m s� 1, the local Rossby radius of
deformation is reduced from its normal B103 km to
a value comparable with the eye radius. The Rossby
radius of deformation is the ratio of the speed of the
relevant gravity wave mode and the local vorticity, or,
equivalently, the ratios of the Brunt–Väisälä and
inertial frequencies. This scale indicates the amount
of energy that goes into gravity waves compared with
inertial acceleration of the wind. In very intense
tropical cyclones, the eye radius may approach the
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Monthly Weather Review 114: 1384–1389; r American Meteorological Society.)
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depth of the troposphere (15 km), making the aspect
ratio unity. Thus, the dynamics near the center of a
tropical cyclone are so exotic that conditions in the
core differ from the Earth’s day-to-day weather as
much as the atmosphere of another planet does.

Climatology

There are 80–90 tropical cyclones worldwide per year,
with the Northern Hemisphere having more tropical
cyclones than the Southern Hemisphere. Table 2
shows that of the 80–90 tropical cyclones, 45–50
reach hurricane or typhoon strength and 20 reach
major hurricane or super typhoon strength. The
western North Pacific (27 tropical cyclones), eastern
North Pacific (17 tropical cyclones), south-west Indi-
an Ocean (10 tropical cyclones), Australia/south-west
Pacific (10 tropical cyclones), and North Atlantic (10
tropical cyclones) are the major tropical cyclone
regions. There are also regional differences in the
tropical cyclone activity bymonthwith themajority of
the activity in the summer season for each basin.
Hence, in the Pacific, Atlantic, and North Indian

Ocean the maximum numbers of tropical cyclones
occur in August through October, while in the South
Pacific and Australia regions the maxima are in
February and March. In the South Indian Ocean, the
peak activity occurs in June. In the western North
Pacific, BayofBengal, and South IndianOcean regions
tropical cyclones may occur in any month, while the
other regions at least one tropical cyclone-free month
occurs per year. For example, in the North Atlantic,
there has never been tropical cyclone activity in
January.

Some general conclusions can be drawn from the
global distribution of tropical cyclone locations
(Figure 4A). Tropical cyclone formation is confined
to a region approximately 301N and 301 S, with
87% of them located within 201 of the Equator. There
is a lack of tropical cyclones near the Equator, as well
as in the eastern South Pacific and South Atlantic
basins. From these observations there appear to be at
least five necessary conditions for tropical cyclone
development.


 Warm sea surface temperature (SST) and large
mixed-layer depth (i.e., the thickness of the mixed
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Figure 3 Radial-height cross-section of symmetric potential vorticity for Hurricane Gloria, 24 September 1985. Contours are 0.1PVU.
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layer, defined as the depth of the sharp temperature
inversion (also referred to as the thermocline)
between the cooler bottom water and the warmer
near surface water). Numerous studies suggest a
minimum SST criterion of 261C for development.
The warm water must also have sufficient depth
(i.e., 50m). Comparison of Figures 4A and 4B, the
annual mean global SST, shows the strong correla-
tion between regions where the SST is 4261C and
annual tropical cyclone activity. An SSTof4261C is
sufficient but not necessary for tropical cyclone
activity, as is evidenced by the regions with tropical
cyclone activity when the SST o261C. Some of the
discrepancy exists because storms that form over
regions where the SST is 4261C are advected
poleward during their life cycle. However, tropical
cyclones are observed to originate over regions
where the SST o261C. These occurrences are not
many, but the fact that they exist suggests that other
factors are important.


 Background Earth vorticity. Tropical cyclones do
not form within 31 of the Equator. The Coriolis
parameter vanishes at the Equator and increases to
extremes at the poles. Hence, a threshold value of
Earth vorticity (f ) must exist for a tropical cyclone
to form. However, the likelihood of formation does
not increase with increasing f . Thus, nonzero Earth
vorticity is necessary, but not sufficient to produce
tropical cyclones.


 Low vertical shear of the horizontal wind. In order
for tropical cyclones to develop, the latent heat
generated by the convection must be kept near the
center of the storm. Historically, shear was thought
to ‘ventilate’ the core of the cyclone by advecting the
warm anomaly away. The ventilation argument
suggests that if the storm travels at nearly the same

speed as the environmental flow in which it is
embedded then its heating remains over the distur-
bance center. However, if it is moving slower than
themeanwind at upper levels then the heating in the
upper troposphere is carried away by themean flow.
Recent analysis suggests that the effect of shear is to
force the convection into an asymmetric pattern
such that the convective latent heat release forces
flow asymmetry and irregular motion rather than
intensification of the symmetric vortex. Thus, if the
vertical shear is too strong (416m s�1) then exist-
ing tropical cyclones are ripped apart and new ones
cannot form.


 Low atmospheric static stability. Static stability is
the ability of a fluid to become turbulent (unstable)
or laminar (stable) due to the effects of buoyancy
neglecting all other inertial effects of motion. The
troposphere must be potentially unstable to sustain
convection for an extended period. Typically meas-
ured as the difference between the equivalent po-
tential temperature, ye, at the surface and 500 hPa,
instability must typically be 410K for convection
to occur. This value is usually satisfied over tropical
oceans.


 Tropospheric humidity. The higher the midlevel
humidity, the longer a parcel of air can remain
saturated as it entrains the surrounding air during its
ascent. Vigorous convection occurs if the parcel
remains saturated throughout its ascent. A relative
humidity of 50–60% at lower to midlevels
(700–500 hPa) is often sufficient to keep a parcel
saturated during ascent. This condition is regularly
evident over tropical oceans.

These conditions are usually satisfied in the summer
and fall seasons for each tropical cyclone basin.

Table 2 Mean annual frequency, standard deviation (s) and percentage of global total of the number of tropical storms (winds

Z17ms� 1), hurricane-force tropical cyclone (windsZ33ms�1), and major hurricane-force tropical cyclone (windsZ50ms� 1). Dates

in parentheses provide the nominal years for which accurate records are currently available

Tropical cyclone basin Tropical storm

annual

frequency (s)

% of

total

Hurricane annual

frequency (s)
% of

total

Major hurricane

annual

frequency (s)

% of total

Atlantic (1944–00) 9.8 (3.0) 11.4 5.7 (2.2) 12.1 2.2 (1.5) 10.9

NE Pacific (1970–00) 17.0 (4.4) 19.7 9.8 (3.1) 20.7 4.6 (2.5) 22.9

NW Pacific (1970–00) 26.9 (4.1) 32.1 16.8 (3.6) 35.5 8.3 (3.2) 41.3

N Indian (1970–00) 5.4 (2.2) 6.3 2.2 (1.8) 4.6 0.3 (0.5) 1.5

SW Indian (30–1001E)
(1969–00)

10.3 (2.9) 12.0 4.9 (2.4) 10.4 1.8 (1.9) 9.0

Australian/SE Indian

(100–1421E) (1969–00)
6.5 (2.6) 7.5 3.3 (1.9) 7.0 1.2 (1.4) 6.0

Australian/SW Pacific

(1421E) (1969–00)
10.2 (3.1) 11.8 4.6 (2.4) 9.7 1.7 (1.9) 8.5

Global (1970–00) 86.1 (8.0) 47.3 (6.5) 20.1 (5.7)
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However, even when all of the above conditions are
favorable, tropical cyclones don’t necessarily form. In
fact, there is growing evidence for significant inter-
annual variability in tropical cyclone activity, where
numerous tropical cyclones form in a given basin over
aweek to 10 days, followed by 2–3weekswith little or
no tropical cyclone activity. Figure 5 shows just such
anactive period in theAtlantic basin inmid-September
1999, where two hurricanes (Floyd and Gert), both
major, and an unnamed tropical depression formed
within a few days of each other. During these active
phases almost every disturbance makes at least trop-

ical storm strength, whereas in the inactive phase
practically none of the disturbances intensify. The two
hurricanes and unnamed depression in Figure 5
represented the second 10-day active period during
the summer of 1999. An earlier period in mid-August
also resulted in the development of three hurricanes
(Brett, Cindy, and Dennis), two of which were major,
aswell as a tropical storm (Emily). There is speculation
that the variability is related to the propagation of a
global wave. Because the SST, static stability, and
Earth vorticity don’t vary thatmuch during the season,
the interannual variability is most likely related
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to variations in tropospheric relative humidity and
vertical wind shear.

It has long been recognized that the number of
tropical cyclones in a given region varies from year to
year. The exact causes of this remain largely specula-
tive. The large-scale global variations in atmospheric
phenomena such as the El Niño Southern Oscillation
(ENSO) and the Quasi-Biennial Oscillation (QBO)
appear to be related to annual changes in the frequency
of tropical cyclone formation, particularly in the
Atlantic Ocean. The ENSO phenomenon is charac-
terized by warmer SSTs in the eastern South Pacific
and anomalous winds over much of the equatorial
Pacific. It influences tropical cyclone formation in the
western North Pacific, South Pacific, and even the
North Atlantic.

During the peak phase of the ENSO, often referred
to as El Niño (which usually occurs during themonths
July–October), anomalous westerly winds near the
Equator extend to the dateline in the western North
Pacific acting to enhance the intertropical convergence
zone (ITCZ) in this area, making it more favorable for

formation of tropical cyclones. Another effect of
the El Niño circulation is warmer SST in the eastern
South Pacific. During such years, tropical cyclones
form closer to the Equator and farther east. Regions
such as French Polynesia, which are typically
unfavorable for tropical cyclones owing to a strong
upper-level trough, experience numerous tropical
cyclones. The eastern North Pacific is also affected
by the El Niño through a displacement of the ITCZ
south to near 51N. Additionally, the warm ocean
anomaly of El Niño extends to near 201N, which
enhances the possibility of tropical cyclone formation.
The result is an average increase of two tropical
cyclones during El Niño years. Cyclones also develop
closer to the Equator and farther west than during a
normal year.

The QBO is a roughly 2-year oscillation of the
equatorial stratosphere (30–50 hPa) winds from east-
erly towesterly and back. The phase andmagnitude of
QBO are associated with the frequency of tropical
cyclones in the Atlantic. Hurricane activity is more
frequent when the 30-hPa stratospheric winds are

Figure 5 GOES multispectral false color image of Hurricanes Floyd and Gert and an unnamed tropical depression at 1935 UTC, 13

September 1999. (Photo courtesy of NOAA Operationally Significant Event Imagery website: http://www.osei.noaa.gov/.)
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westerly. The exact mechanism by which the QBO
affects tropical cyclones in the troposphere is not clear;
however, there are more North Atlantic tropical
cyclones when the QBO is in the westerly phase than
when it is in the easterly.

Tropical Cyclogenesis

Enthalpy is a thermodynamic state function defined
for an ideal gas as the temperature times the specific
heat at constant pressure plus a constant. For a system
like the atmosphere which consists of a mixture of
components the total enthalpy is the mass-weighted
sum of the enthalpies of each component. Thus, the
total enthalpy for a system consisting of a mixture of
dry air, water vapor, and liquid water is defined as a
constant plus the temperature times the sum of the
specific heats at constant pressure for each component
times the masses of each component, respectively. In
an adiabatic, reversible process, the total enthalpy is
conserved, although the component enthalpies may
not be due to the exchange of enthalpy between
components in phase changes. Most of the energy
needed for tropical cyclones to form and maintain
themselves is realized through the difference in en-
thalpy between the warm near-surface waters of the
tropical ocean and the tropospheric column. The
process of bringing the late-summer tropical tropo-
sphere into thermodynamic equilibrium with the sea
surface at 28–301C, mainly through the irreversible
energy transfer from the ocean to the air by evapora-
tion, can produce hydrostatic pressures as low as the
minimum sea-level pressures of the most intense
tropical cyclones. Thus, much of the tropical oceans
contain enough moist enthalpy to support a major
hurricane.

Throughout most of the Trade Wind regions,
gradual subsidence causes an inversion that traps
water vapor in the lowest kilometer. Sporadic convec-
tion (often in squall lines) that breaks through the
inversion exhausts the moist enthalpy stored in the
near-surface boundary layer quickly, leaving awake of
cool, relatively dry air. This air comes from just above
the inversion and is brought to the surface by down-
drafts driven by the weight of hydrometeors and
cooling due to their evaporation. If the squall line does
not keepmoving it quickly runs out of energy.Aday, or
even several days, may pass before normal fair-
weather evaporation can restore the preexistent moist
enthalpy behind the squall. The reasons why squall
line convection generally fails to produce hurricanes
lie in the limited amount of enthalpy that can be stored
in the sub-inversion layer and the slow rate of
evaporation under normal wind speeds in the trades.

For a tropical cyclone to occur, evaporation must
speed up and the equilibrium enthalpy at the sea
surface temperature must rise through a lowering of
the surface pressure. Tropical cyclones are thus finite-
amplitude phenomena. They do not grow by some
linear process from infinitesimal amplitude. The
normal paradigm of searching for the most rapidly
growing unstable linear mode used to study midlati-
tude cyclogenesis through baroclinic instability fails
here. The surfacewind has to exceed roughly 20m s� 1

before evaporation can prevail against downdraft
cooling.

How then do tropical cyclones reach the required
finite amplitude? The answer seems to lie in the
structure of tropical convection. As explained previ-
ously, behind a squall line the lower troposphere
(below the 01C isotherm at B5 km) is dominated by
precipitation-driven downdrafts which lie under the
‘anvil’ of nimbostratus and cirrostratus that spreads
behind the active convection. Above 5 km, a combi-
nation of differential radiative fluxes at the top and
bottom of the anvil and residual condensational
heating from the main updraft maintains weak rising
motion. This updrafts-over-downdrafts arrangement
requires horizontal convergence centered near 5 km
altitude to maintain mass continuity. The important
kinematic consequence is formation of patchy shallow
vortices near the altitude of the 01C isotherm. The
typical horizontal scales of these ‘mesovortices’ are
tens to hundreds of kilometers. If they were at the
surface or if their influence could be extended down-
ward to the surface then they would be the means to
get the system to the required finite amplitude.

The foregoing reasoning defines the important
unanswered questions: (1) how do the midlevel
mesovortices extend their influence to the surface,
and (2) what are the detailed thermodynamics at the
air–sea interface during this process? Leading hypoth-
eses for (1) are related to processes that can increase
the surface vorticity through changes in static stability
and momentum mixing, both horizontally and verti-
cally. However, the answers to these questions await
new measurements that are just becoming available
through improved observational tools.

Basic Structure

Primary and Secondary Circulations

Inner core dynamics have received a lot of attention
over the last 40 years through aircraft observations of
the inner core structure. These observations show that
the tropical cyclone inner core dynamics are dominat-
ed by interactions between ‘primary’ (horizontal
axisymmetric), ‘secondary’ (radial and vertical)
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circulations, and a wavenumber one asymmetry
caused by the storm motion. The primary circulation
is so strong in the cyclone core that it is possible to
consider axisymmetric motions separately, if account
is taken of forcing by the asymmetric motions. The
primary circulation is in near-gradient balance, and
evolves when heat and angular momentum sources
(often due to asymmetric motions) force secondary
circulations, which in turn redistribute heat and
angular momentum.

Figure 6 shows that the primary circulation is
sustained by the secondary circulation that consists of
frictional inflow that loses angular momentum to the
sea as it gains moist enthalpy. (Angular momentum
M ¼ Vrþ fr2=2, where V is the tangential wind
velocity, f the Coriolis parameter, and r the radius
from the storm center.) The inflow picks up latent heat
through evaporation, and exchanges sensible heat
with the underlying ocean, as it spirals into lower
levels of the storm under influence of friction. The
evaporationof sea spray addsmoisture to the air,while
at the same time cooling it. This process is important in
determining the intensity of a tropical cyclone. Near
the vortex center, the inflow turns upward and brings
the latent heat it acquires in the boundary layer into
the free atmosphere. Across the top of the boundary
layer, turbulent eddies cause significant downward
flux of sensible heat from the free atmosphere to the
boundary layer. The energy source for the turbulent
eddies is mechanical mixing caused by the strong
winds. The eddies are also responsible for downward
mixing of angular momentum. Hence, these turbulent
eddy fluxes fuel the storm.

As the air converges towards the eye and is lifted in
convective clouds that surround the clear eye, it
ascends to the tropopause (the top of troposphere,
where temperature stops decreasing with height). As
shown in Figure 6, the convective updrafts in the
eyewall turn the latent heat into sensible heat through
the latent heat of condensation to provide the buoy-
ancy needed to loft air from the surface to tropopause
level. The updraft entrains midlevel air, promoting
mass and angular momentum convergence into the
core. It is the midlevel inflow that supplies the excess
angular momentum needed to spin up the vortex. The
thermodynamics of a storm can be modeled as an
idealized heat engine, running between a warm heat
reservoir, the sea, at around 300K, and a cold
reservoir, 15–18 km up in the tropical troposphere,
at about 200K. The net energy realized in the whole
process is proportional to the difference in tempera-
ture between the ocean and the upper troposphere.
Storm-induced upwelling of cooler water reduces
ocean SST by a few degrees, which has a considerable
effect on the storm’s intensity.

As shown in Figure 7, the secondary circulation also
controls the distribution of hydrometeors and radar
reflectivity. It is much weaker than the primary
circulation except in the anticyclonic outflow, where
the vortex is also much more asymmetric. Precipita-
tion-driven convective updrafts form as hydrometeors
fall from the outward sloping updraft. Condensation
in the anvil causes a mesoscale updraft above the 01C
isotherm and precipitation loading by snow falling
from the overhanging anvil causes a mesoscale down-
draft below 01C isotherm. The melting level itself
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Figure6 Schematic of the secondary circulation thermodynamics. (Reproducedwith permission fromWilloughbyHE (1999)Hurricane

heat engines. Nature 401: 649–650; rMacmillan Magazines Ltd.)
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marks the height of maximum mass convergence.
Inside the eye, dynamically driven descent and mo-
mentum mixing leads to substantial pressure falls.

In order for the primary circulation to intensify, the
flow cannot be in exact balance. Vertical gradients of
angular momentum due to vertical shears of the

primary circulation cause updrafts to pass through the
convective heat sources, because the path of least
resistance for the warmed air lies along constant
angular momentum surfaces. Similarly, horizontal
temperature gradients due to vertical shears cause
the horizontal flow to pass through momentum
sources, because the path of least resistance lies along
isentropes (potential temperature or y surfaces).
Although the flow lies generally along the angular
momentum or isentropic surfaces, it has a small
component across them. The advection by this com-
ponent, not the direct forcing, is the mechanism by
which the primary circulation evolves.

Some of the most intense tropical cyclones exhibit
‘concentric’ eyewalls, i.e., two or more eyewall struc-
tures centered at the circulation center of the storm. In
much the same way as the inner eyewall forms,
convection surrounding the eyewall can become
organized into distinct rings. Eventually, the inner
eye begins to feel the effects of the subsidence resulting
from the outer eyewall, and the inner eyewall weak-
ens, to be replaced by the outer eyewall. The pressure
rises due to the destruction of the inner eyewall are
usually more rapid than the pressure falls, due to the
intensification of the outer eyewall, and the cyclone
itself weakens for a short period of time. This
mechanism, referred to as the eyewall replacement
cycle, often accompanies dramatic changes in storm
intensity. The intensity changes are often associated
with the development of secondary wind maxima
outside the storm core.

A good example of contracting rings of convection
effecting the intensification of a hurricane is shown in
Figure 8 for Hurricane Gilbert on 14 September 1988.
Two convective rings, denoted by intense radar
reflectivity, are evident in Figure 8A. The outer ring
is located near 80–90 km radius and the inner one at
10–12 km radius. Figure 8B shows that both are
associated with maxima in tangential wind and
vorticity. Figure 9 shows that in the ensuing 12–24 h
the storm filled dramatically. However, it is not clear
how much of the filling was caused by the storm
moving over land and how much by the contracting
outer ring and decaying inner ring of convective
activity.

A process has been proposedwhereby: (1) nonlinear
balanced adjustment of the vortex to eddy heat and
angular momentum sources generated by some envi-
ronmental interaction in the storm’s periphery pro-
duces an enhanced secondary circulation; (2) a
secondary wind maximum develops in response; and
(3) the wind maximum contracts as a result of
differential adiabatic warming associated with the
convective diabatic heating in the presence of a inward
radial gradient of inertial stability. Under these
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Figure 7 (A) Schematic of the radius–height circulation of the

inner core of Hurricane Alicia (1983). Shading depicts the reflec-

tivity field, with contours of 5, 30, and 35dBZ. The primary
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circulation by the wide hatched streamlines. The convective

downdrafts are denoted by the thick solid arrows, while the
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Schematic plan view of the low-level reflectivity field in the inner

core of Hurricane Alicia superimposed with the middle of the three

hydrometeor trajectories in (A). Reflectivity contours in (b) are 20

and 35dBZ. The storm center and direction are also shown. In (A)

and (B) the hydrometeor trajectories are denoted by dashed and

solid lines labeled 0-1-2-3-4 and 00-10-20. (Reproduced with

permission from Marks FD and Houze RA (1987) Inner core

structure of Hurricane Alicia from airborne Doppler radar observa-
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circumstances, understanding the intensification of
the tropical cyclone reduces to determining what
mechanisms can produce an enhanced secondarywind
maximum.

Inner core – eyewall and eye The most recognizable
feature foundwithin a hurricane is the eye (Figure 10).
It is found at the center and is typically between
20–50 km in diameter. The eye is the focus of the
hurricane, the point about which the primary circu-
lation rotates and where the lowest surface pressures
are found in the storm. The eye is a roughly circular
area of comparatively light winds and fair weather
found at the center of strong tropical cyclones.
Although the winds are calm at the axis of rotation,
strong winds may extend well into the eye. As seen in
Figure 10, there is little or no precipitation and
sometimes blue sky or stars can be seen. The eye is
the region of warmest temperatures aloft – the eye
temperature may be Z101C warmer at an altitude
of 12 km than the surrounding environment, but only
0–21C warmer at the surface.

The eye is surrounded by the eyewall, the roughly
circular area of deep convection associated with the
up-branch of the secondary circulation and the highest
surfacewinds. The eye is composed of air that is slowly
sinking and the eyewall has a net upward flow because
ofmanymoderate – occasionally strong –updrafts and
downdrafts. The eye’s warm temperatures are due to
warming by compression of the subsiding air. Most
soundings taken within the eye are similar to that for
Hurricane Hugo in Figure 11. They show a low-level
layer which is relatively moist, with an inversion
above, suggesting that the sinking in the eye typically
does not reach the ocean surface, but instead gets only
within 1–3 km of the surface. An eye is usually present
only in hurricane-strength tropical cyclones.

The general mechanisms by which the eye and
eyewall are formed are not fully understood, although
observations shed some light on the problem. The
calm eye of the tropical cyclone shares many qualita-
tive characteristics with other vortical systems such as
tornadoes, waterspouts, dust devils, and whirlpools.
Given that many of these lack a change of phase of
water (i.e., no clouds and diabatic heating are
involved), it may be that the eye feature is a funda-
mental component to all rotating fluids. It has been
hypothesized that supergradient wind flow (i.e.,
swirling winds generating stronger centrifugal ‘force’
than the local pressure gradient can support) present
near the radius of maximum winds causes air to be
centrifuged out of the eye into the eyewall, thus
accounting for the subsidence in the eye. However,
others found that the swirling winds within several
tropical cyclones were within 1–4% of gradient
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balance. It may be thought that the amount of
supergradient flow needed to cause such centrifuging
of air is only on the order of a couple of percent and
thus difficult to measure.

Another feature of tropical cyclones that probably
plays a role in forming and maintaining the eye is the
eyewall convection. As shown in Figure 12, convec-
tion in developing tropical cyclones is organized into

Figure 10 Eyewall of Hurricane Georges, 1945 UTC, 19 September 1998. (Photo courtesy of M. Black, NOAA/OAR/AOML Hurricane

Research Division.)
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long, narrow rainbands that are oriented in the same
direction as the horizontal wind. Because these bands
seem to spiral into the center of a tropical cyclone, they
are sometimes called spiral bands. The earliest radar
observations of tropical cyclones detected these bands,
which are typically 5–50 km wide and 100–300km
long. Along these bands, low-level convergence is a
maximum, and therefore upper-level divergence is
most pronounced. A direct circulation develops in
which warm, moist air converges at the surface,
ascends through these bands, diverges aloft, and
descends on both sides of the bands. Subsidence is
distributed over a wide area outside of the rainband,
but is concentrated in the small inside area. As the air
subsides, adiabatic warming takes place, and the air
dries. Because subsidence is often concentrated on the
inside of the band, the adiabatic warming is stronger
inward from the band, causing a sharp contrast in

pressure falls across the band since warm air is lighter
than cold air. Because of the pressure falls on the
inside, the tangential winds around the tropical
cyclone increase, owing to an increased pressure
gradient. Eventually, the band moves toward the
center and encircles it and the eye and eyewall form.

The circulation in the eye is comparatively weak
and, at least in the mature stage, thermally indirect
(warm air descending), so it cannot play a direct role in
the storm energy production. On the other hand, the
temperature in the eye ofmanyhurricanes exceeds that
which can be attained by any conceivable moist
adiabatic ascent from the sea surface, even accounting
for the additional entropy (positive potential temper-
ature, y, anomaly) owing to the low surface pressure in
the eye (the lower the pressure, the higher the y at a
given altitude and temperature). Thus, the observed
low central pressure of the storm is not consistent with
that calculated hydrostatically from the temperature
distribution createdwhen a sample of air is lifted from
a state of saturation at sea surface temperature and
pressure. The thermal wind balance restricts the
amount of warming that can take place. In essence,
the rotation of the eye at each level is imparted by the
eyewall, and the pressure drop from the outer to the
inner edge of the eye is simply that required by gradient
balance.

Because the eyewall azimuthal velocity decreases
with height, the radial pressure drop decreases with
altitude, requiring, through the hydrostatic equation,
a temperature maximum at the storm center. Thus,
given the swirling velocity of the eyewall, the steady-
state eye structure is largely determined. The central
pressure, which is estimated by integrating the gradi-
ent balance equation inward from the radius of
maximum winds, depends on the assumed radial
profile of azimuthal wind in the eye.

In contrast, the eyewall is a region of rapid variation
of thermodynamic variables. As shown in Figure 13,
the transition from the eyewall cloud to the nearly
cloud-free eye is often so abrupt that it has been
described as a form of atmospheric front. Early studies
were the first to recognize that the flow under the
eyewall cloud is inherently frontogenetic. The eyewall
is the upward branch of the secondary circulation and
a region of rapid ascent that, together with slantwise
convection, leads to the congruence of angular mo-
mentum and moist entropy (ye) surfaces. Hence, the
three-dimensional vorticity vectors lie on ye surfaces,
so that the moist PV vanishes. As the air is saturated,
this in turn implies, through the invertibility principle
applied to flow in gradient and hydrostatic balance,
that the entire primary circulation may be deduced
from the radial distribution of ye in the boundary layer
and the distribution of vorticity at the tropopause.
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In the classic semigeostrophic theory of deforma-
tion-induced frontogenesis, the background geo-
strophic deformation flow provides the advection of
temperature across surfaces of absolute momentum
that drives the frontogenesis, whereas in the hurricane
eyewall, surface friction provides the radial advection
of entropy across angular momentum surfaces. Also
note that the hurricane eyewall is not necessarily a
front in surface temperature, but instead involves the
ye distribution, which is related directly to density in
saturated air.

There is likely a two-stage process in eye formation.
The amplification of the primary circulation is strong-
ly frontogenetic and results, in a comparatively short
time, in frontal collapse at the inner edge of the
eyewall. (Frontal collapse is an increase in the
horizontal gradient of an airmass property, principally
density, and the development of the accompanying
features of the wind field through the secondary
circulation that typify a front.) The frontal collapse
leads to a dramatic transition in the storm dynamics.
While the tropical cyclone inner core is dominated by
axisymmetric motions, hydrodynamic instabilities are
potential sources of asymmetric motions within the
core. In intense tropical cyclones the wind profile
inside the eye is often U-shaped, in the sense that the
wind increases outwards more rapidly than linearly
with radius (Figure 13). The strong cyclonic shear just
inside the eyewall may result in a local maximum of
absolute vorticity or angular momentum, so that the
profile may actually become barotropically unstable.
(This refers to the hydrodynamic instability arising
from certain distributions of vorticity in a two-
dimensional nondivergent flow. It is an inertial insta-
bility in that kinetic energy is the only form of energy
transferred between the current and perturbation. A
well-known necessary condition for barotropic insta-

bility is that the basic state vorticity gradientmust have
both signs in the domain of interest.) This instability
leads to frontal collapse as a result of radial diffusion
of momentum into the eye, and also may explain the
‘polygonal eyewalls’ where the eyewall appear on
radar to be made up of a series of line segments rather
than as a circle. It may also explain intense mesoscale
vortices observed in the eyewalls of Hurricanes Hugo
of 1989 and Andrew of 1992.

Once the radial turbulent diffusion of momentum
driven by the instability of the primary circulation
becomes important, it results in a mechanically
induced, thermally indirect (warm air sinking) com-
ponent of the secondary circulation in the eye and
eyewall. Such a circulation raises the vertically aver-
aged temperature of the eye beyond its value in the
eyewall and allows for an amplification of the entropy
distribution. Feedbacks with the surface fluxes then
allow the boundary layer entropy to increase and
result in a more rapid intensification of the swirling
wind. Thus, the frontal collapse of the eyewall is an
essential process in the evolution of tropical cyclones.
Without it, amplification of the temperature distribu-
tion relies on external influences, and intensification of
the wind field is slow. Once it has taken place, the
mechanical spinup of the eye allows the temperature
distribution to amplify without external influences
and, through positive feedback with surface fluxes,
allows the entropy field to amplify and the swirling
velocity to increase somewhat more rapidly.

Outer structure and rainbands The axisymmetric
core is characteristically surrounded by a less sym-
metric outer vortex that diminishes into the synoptic
‘environment’. In the lower troposphere, the cyclonic
circulation may extend more than 1000 km from the
center. As evident in Figure 14 the boundary between

90
80
70
60
50
40
30
20
10

−10
−20

0V
θ,

V
r, 

an
d 

w
(m

 s
−1

)
Eyewall Eye

17:22:00 17:23:00 17:24:00 17:25:00 17:26:00 17:27:00 17:28:00 17:29:00
Time (UTC)

Vθ (m s−1)

Vr (m s−1)
w (m s−1)
�e (K)

� e
 (

K
)

345

350

355

360

365

370

375

Figure 13 Time series plots of tangential wind (Vy), radial wind (Vr), vertical velocity (w ), and ye in Hurricane Hugo at 1721–1730UTC,

15September 1989. The aircraft flight trackwas at 450m. Thick dashed vertical lines denote thewidth of the eyewall reflectivitymaximum

at low levels.

HURRICANES 955



cyclonic and anticyclonic circulation slopes inward
with increasing height, so that the circulation in the
upper troposphere is primarily anticyclonic, except
near the core. In the outer vortex, there are no scale
separations between the primary and the secondary
circulations, the asymmetric motions, or the vortex
translation, as they are roughly all of the same
magnitude. The asymmetric flows in this region
control the vortex motion and sustain an eddy
convergence of angular momentum and moisture
toward the center. Interactions between the symmetric
motions of the inner core with the more asymmetric
motions in the outer portion of the storm are the key to
improved forecasts of tropical cyclone track and
intensity.

Spiral bands of precipitation characterize radar and
satellite images in this region of the storm (Figures 1
and 15). As seen in Figures 8, 12 and 15, radar
reflectivity patterns in tropical cyclones provide a
good means for flow visualization, although they
represent precipitation, not winds. Descending mo-
tion occupies precipitation-free areas, such as the eye.
The axis of the cyclone’s rotation lies near the center of
the eye. The eyewall surrounds the eye. In intense
hurricanes, it may contain reflectivities as high as
50 dBZ equivalent to rainfall rates of 74mmh� 1.
(1 dBz 10 lg Z, where Z is equivalent radar reflecti-
vity factor (mm 6m�3).) Less extreme reflectivities,
40 dBZ (13mmh� 1), characterize most convective

rainfall in the eyewall and spiral bands. The vertical
velocities (bothupanddowndrafts) in convectionwith
highest reflectivity may reach 25m s� 1, but typical
vertical velocities areo5m s�1. Such intense convec-
tion occupies less than 10% of the tropical cyclone’s
area.Outside convection, reflectivities are still weaker,
30 dBZ, equivalent to a 2.4mmh� 1 rain rate. This
‘stratiform rain’, denoted by a distinct reflectivity
maximum or ‘bright band’ at the altitude of the 01C
isotherm, falls out of the anvil cloud that grows from
the convection. The spiral bands tend to lie along the
friction-layer wind that spirals inward toward the
eyewall (Figure 12).

Many aspects of rainband formation, dynamics,
and interaction with the symmetric vortex are still
unresolved. The trailing spiral shape of bands and
lanes arises because the angular velocity of the vortex
increases inward and deforms them into equiangular
spirals. In the vortex core, air remains in the circula-
tion for many orbits of the center, while outside the
core, the air passes through the circulation in less than
the time required for a single orbit. As the tropical
cyclone becomes more intense, the inward ends of the
bands approach the center less steeply approximating
arcs of circles. Some bands appear to move outward,
while others maintain a fixed location relative to the
translating center.
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As shown inFigure 15,motionof the vortex through
its surroundingsmay cause one stationary band, called
the principal band, to lay along a convergent stream-
line asymptote that spirals into the core. A tropical
cyclone advected by midlevel steering with westerly
shear moves eastward through surrounding air at low
levels. Thus, the principal band may be like a bow
wave, caused by the displacement of the environmen-
tal air on the eastern side of the vortex. Its predom-
inant azimuthal wavenumber is one.

Moving bands, and other convective features, are
frequently associated with cycloidal motion of the
tropical cyclone center, and intense asymmetric out-
bursts of convection are observed to displace the
tropical cyclone center by tens of kilometers. The
bands observed by radar are often considered mani-
festations of internal gravity waves, but these waves
can exist only in a band of Doppler-shifted frequencies
between the local inertia frequency (defined as the sum
of the vertical component of the earth’s inertial
frequency, f , and the local angular velocity of the
circulation, V=r) and the Brunt–Väisälä frequency
(i.e., the natural gravity wave frequency, the square
root of the static stability defined as ðg=yÞ qy=qz). Only
two classes of trailing-spiral, gravitywave solutions lie
within this frequency band: (1) waves with any
tangential wavenumber that move faster than the
swirling wind, and (2) waves with tangential wave-
numberZ2 that move slower than the swirling wind.

Bands moving faster than the swirling wind with
outward phase propagation are observed by radar.
They are more like squall lines than linear gravity
waves. Waves moving slower than the swirling wind
propagate wave energy and anticyclonic angular
momentum inward, grow at the expense of the
mean-flow kinetic energy, and reach appreciable
amplitude if they are excited at the periphery of the
tropical cyclone. Alternate explanations for these
inward-propagating bands involve filamentation of
vorticity from the tropical cyclone environment,
asymmetries in the radially shearing flow of the
vortex, and high-order vortex Rossby waves. Detailed
observations of the vortex-scale rainband structure
and windfield are necessary to determine which
mechanisms play a role in rainband development
and maintenance.

While the evolution of the inner core is dominated
by interactions between the primary, secondary, and
track-induced wavenumber-one circulation, there is
some indication that the local convective circulations
in the rainbands may impact on intensity change.
Although precipitation in some bands is largely
stratiform, condensation in most bands tends to be
concentrated in convective cells rather than spread
over wide mesoscale areas. As shown in Figure 12,

convective elements form, move through the bands,
and dissipate as they move downwind. Doppler radar
observations indicate that the roots of the updrafts lie
in convergence between the low-level radial inflow
and gust fronts produced by convective downdrafts.
This convergencemay occur on either side of the band.
A 20K decrease in low-level ye was observed in a
rainband downdraft, suggesting that the draft acts as a
barrier to inflow. This reduction in boundary layer
energy may be advected near the center, inhibit
convection, and thereby alter storm intensity.

Motion

Tropical cyclone motion is the result of a complex
interaction between a number of internal and external
influences. Environmental steering is typically the
most prominent external influence on a tropical
cyclone, accounting for as much as 70–90% of the
motion. Theoretical studies show that in the absence
of environmental steering, tropical cyclones move
poleward and westward owing to internal influences.

Accurate determination of tropical cyclone motion
requires accurate representation of interactions that
occur throughout the depth of the troposphere on a
variety of scales. Observations spurred improved
understanding of how tropical cyclones move using
simple barotropic and more complex baroclinic mod-
els. To first order, the storm moves with some layer
average of the lower-tropospheric environmental
flow: the translation of the vortex is roughly equal to
the speed and direction of the basic ‘steering’ current.
However, the observations show that tropical cyclone
tracks deviate from this simple steering flowconcept in
a subtle and important manner. Several physical
processes may cause such deviations. The approach
in theoretical and modeling of tropical cyclones has
been to isolate each process in a systematic manner to
understand the magnitude and direction of the track
deviation caused by each effect. The b effect opposes
the advection of relative vorticity through the differ-
ential advection of the Earth’s vorticity, f , that slows
the advection of the disturbance. (The b effect is the
asymmetric vorticity advection around the vortex
caused by the latitudinal gradient of f ; b ¼ 2O cosf. b
has a maximum value at the Equator (i.e.,
2.289� 10� 11 s�1) and becomes zero at the pole.)
Models that are more complete describe not only the
movement of the vortex but also the accompanying
wavenumber-one asymmetries that develop owing to
the differential advection of f on the east andwest side
of the vortex. It was also discovered that the role of
meridional and zonal gradients of the environmental
flow could add greatly to the complexity even in the
barotropic evolution of a vortex. Hence, the evolution
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of the movement depends on not only the relative
vorticity gradient and on shear of the environment but
also the structure of the vortex itself.

Generally, the propagation vector of these model
baroclinic vortices is very close to that expected from a
barotropic model initialized with the vertically inte-
grated environmental wind. An essential feature in
baroclinic systems is the relative vorticity advection
through the storm center, where the vertical structure
of the tropical cyclone produces a tendency for the
low-level vortex to move slower than the simple
propagation of the vortex due tob. Vertical shear plays
an important factor in determining what the relative
flow is, though there is no unique relation between the
shear and storm motion. Diabatic heating effects also
alter this flow and change the propagation velocity.
Thus, tropical cyclone motion is primarily governed
by the dynamics of the low-level cyclonic circulation;
however, the addition of observations of the upper-
level structure may alter this finding.

Interaction with the Atmospheric Environment

A consensus exists that small vertical shear of the
environmental wind and lateral eddy imports of
angular momentum are favorable to tropical cyclone
intensification. The inhibiting effect of vertical shear in
the environment on tropical cyclone intensification is
well known from climatology and forecasting experi-
ence. Exposure of the low-level circulation fromunder
the tropical cyclones large area of cirrus (central dense
overcast) in satellite imagery is universally recognized
as a symptom of shear, and as an indication of a
nonintensification or weakening. Nevertheless, the
detailed dynamics of a vortex in shear has been the
topic of surprisingly little study, probably because
while the effect is a reliable basis for practical
forecasting, it is difficult to measure and model.

In contrast, the positive effect of eddy momentum
imports at upper levels has received extensive study.
Modeling studies with composite initial conditions
show that eddy momentum fluxes can intensify a
tropical cyclone even when other conditions are
neutral or unfavorable. It has been shown theoretically
thatmomentum imports can forma tropical cyclone in
an atmosphere with no buoyancy. Statistical analysis
of tropical cyclones reveals a clear relationship
between angular momentum convergence and inten-
sification, but only after the effects of shear and SST
variations are accounted for. Such interactions occur
frequently (35% of the time, defined by eddy angular
momentum flux convergence exceeding 10m s�1

day� 1), and likely represent the more common
upper-boundary interaction for tropical cyclones.

Frequently they are accompanied by eyewall cycles
and dramatic intensity changes.

The environmental flows that favor intensification,
and presumably inward eddy momentum fluxes,
usually involve interaction with a synoptic-scale
cyclonic feature, such as a midlatitude upper-level
trough or PV anomaly. Given the interaction of an
upper-level trough and the tropical cyclone, the exact
mechanism for intensification is still uncertain. The
secondary circulation response to momentum and
heat sources is very different. Upper-tropospheric
momentum sources can influence the core directly.
As can be seen in Figure 16, large inertial stability in
the lower troposphere protects the mature tropical
cyclone core from direct influence by momentum
sources (inertial stability is a measure of the resistance
to horizontal displacements, based on the conserva-
tion of angular momentum for a vortex in gradient
balance, and is defined as ðf þ zÞðf þ V2=rÞ, where z is
the relative vorticity, V the axial wind velocity, f the
Coriolis parameter, and r the radius from the storm
center); however, the inertial stability in the upper
troposphere is smaller and a momentum source can
induce an outflow jet with large radial extent just
below the tropopause. If the eyewall updraft links to
the direct circulation at the entrance region of the jet,
as shown in Figures 17C and 17D, the exhaust outflow
is unrestricted. The important difference between heat
and momentum sources is that the roots of the
diabatically induced updraft must be in the inertially
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stiff lower troposphere, but the outflow jet due to a
momentum–flux convergence can be confined to the
inertially stable upper troposphere. Momentum forc-
ing does not spin the vortex up directly. It makes the
exhaust flow stronger and reduces local compensating
subsidence in the core, thus cooling the upper tropo-
sphere and destabilizing the sounding. The cooler
upper troposphere leads to less thermal-wind shear
and a weaker upper anticyclone.

A two-dimensional balanced approach provides
reasonable insight into the nature of the tropical

cyclone intensification as a trough approaches. Isen-
tropic PV analysis (Figure 17), which express the
problem in termsof a quasi-conserved variable in three
dimensions, are used to describe various processes in
idealized tropical cyclones with considerable success.
The eddy heat and angular momentum fluxes are
related to changes in the isentropic PV through their
contribution to the eddy flux of PV.

It has been suggested that outflow-layer asymme-
tries, as in Figure 17, and their associated circulations
could create a mid- or lower-tropospheric PV
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maximum outside the storm core, either by creating
breaking PV waves on the mid-tropospheric radial PV
gradient (Figure 3) or by diabatic heating. It has been
shown that filamentation of any such PVmaximum in
the ‘surf zone’ outside the tropical cyclone core (the
sharp radial PV gradient near 100 km radius) produces
a feature much like a secondary wind maximum,
which was apparent in the PV fields of Hurricane
Gloria in Figure 3. These studies thus provide mech-
anisms by which outflow-layer asymmetries could
bring about a secondary wind maximum.

An alternative argument has been proposed for
storm reintensification as a ‘constructive interference
without phase locking’, as shown in Figure 18. As the
PV anomalies come within the Rossby radius of
deformation, the pressure and wind perturbations
associated with the combined anomalies are greater
than when the anomalies are apart, even though the
PV magnitudes are unchanged. The perturbation
energy comes from the basic-state shear that brought
the anomalies together. However, constructive inter-
ference without some additional diabatic component
cannot account for intensification. It is possible that
intensification represents a baroclinic initiation of a
wind-induced surface heat exchange. By this mecha-
nism, the constructive interference induces stronger
surface wind anomalies, which produce larger surface
moisture fluxes and thus higher surface moist en-
thalpy. This feeds back through the associated con-
vective heating to produce a stronger secondary
circulation and thus stronger surface winds. The small
effective static stability in the saturated, nearly moist
neutral storm core ensures a deep response, so that
even a rather narrow upper trough can initiate this
feedback process. The key to this mechanism is the
direct influence of the constructive interference on the
surface wind field, as that controls the surface flux of
moist enthalpy.

Interaction with the Ocean

As pointed out in the climatology section, preexisting
SSTs4261C are a necessary but insufficient condition
for tropical cyclogenesis. Once the tropical cyclone
develops and translates over the tropical oceans,
statistical models suggest that warm SSTs describe a
large fraction of the variance (40–70%) associated
with the intensification phase of the storm. However,
these predictive models do not account either for the
oceanic mixed layers having temperatures of 0.5–11C
cooler than the relatively thin SSTover the uppermeter
of the ocean or horizontal advective tendencies by
basic-state ocean currents such as the Gulf Stream and
warm core eddies. Thin layers of warm SST are well
mixed with the underlying cooler mixed layer water

well in advance of the storm where winds are a few
meters per second, reducing SST as the storm ap-
proaches. However, strong oceanic baroclinic features
advecting deep, warm oceanic mixed layers represent
moving reservoirs of high-heat-content water availa-
ble for the continued development and intensification
phases of the tropical cyclone. Beyond a first-order
description of the lower boundary providing the heat
and moisture fluxes derived from low-level conver-
gence, little is known about the complex boundary
layer interactions between the two geophysical fluids.

One of the more apparent aspects of the atmos-
pheric–oceanic interactions during tropical cyclone
passage is the upper-ocean cooling asmanifested in the
SST (and mixed-layer temperature) decrease starting
just in back of the eye. As seen in Figure 19, ocean
mixed-layer temperature profiles acquired during the
passage of several tropical cyclones revealed a cres-
cent-shaped pattern of upper-ocean cooling and
mixed-layer depth changes, which indicated a right-
ward bias in the mixed-layer temperature response
with cooling by 1–51C extending from the right rear
quadrant of the storm into thewake regime. These SST
decreases are observed through satellite-derived SST
images, such as that of the post-Hurricane Bonnie
SST (Figure 20), which are indicative of mixed-layer
depth changes due to stress-induced turbulent mixing
in the front of the storm and shear-induced mixing
between the layer and thermocline in the rear half of
the storm. The mixed-layer cooling represents the
thermodynamic and dynamic response to the strong
wind that typically accounts for 75–85% of the ocean
heat loss, compared with the 15–25% caused by
surface latent and sensible heat fluxes from theocean to
the atmosphere. Thus, the upper ocean’s heat content
for tropical cyclones is governed not solely by SST;
rather, it is the mixed-layer depths and temperatures
that are significantly affected along the lower bound-
ary by the basic state and transient currents.

Recent observational data have shown that the
horizontal advection of temperature gradients by
basic state currents in a warm core ring affected the
mixed-layer heat and mass balance, suggesting the
importance of these warm oceanic baroclinic features.
In addition to enhanced air–sea fluxes, warm temper-
atures (4261C)may extend to 80–100m inwarmcore
rings, significantly impacting themixed-layer heat and
momentum balance. That is, strong current regimes
(1–2m s�1) advecting deep, warm upper-ocean layers
not only represent deep reservoirs of high-heat-
content water with an upward heat flux, but transport
heat from the tropics to the subtropical and polar
regions as part of the annual cycle. Thus, the basic
state of the mixed layer and the subsequent response
represent an evolving three-dimensional process with
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surface fluxes, vertical shear across the entrainment
zone, and horizontal advection. Simultaneous obser-
vations in both fluids are lacking over these baroclinic
features prior, during, and subsequent to tropical
cyclone passage, and are crucially needed to improve
our understanding of the role of lower boundary in
intensity and structural changes to intensity change.

In addition, wave height measurements and current
profiles revealed the highest waves and largest fetches
to the right side of the storm where the maximum
mixed-layer changes occurred. Mean wave-induced
currents were in the same direction as the steady
mixed-layer currents, modulating vertical current
shears and mixed-layer turbulence. These processes
feed back to the atmospheric boundary layer by
altering the surface roughness and hence the drag
coefficient. However, little is known about the role of
strong surface waves on the mixed-layer dynamics,
and their feedback to the atmospheric boundary layer
under tropical cyclone forcewinds by altering the drag
coefficient.

A Bonnie

Danielle

TMI

31292725
SST (°C)

Figure 20 Cold wake produced by Hurricane Bonnie for 24–26 August 1998, as seen by the NASA TRMM satellite Microwave Imager

(TMI). Small white patches are areas of persistent rain over the 3-day period.White dots showHurricaneBonnie’s daily position from24 to

26August.Gray dots show the later passage of HurricaneDanielle from27August to 1September. Danielle crossedBonnie’swake on 29

August and its intensity dropped. (Reproduced with permission from Wentz FJ, Gentemann C, Smith D, and Chelton D (2000) Satellite

measurements of sea surface temperature through clouds. Science 288: 847–850;r owned by the American Geophysical Union (http:/

www.sciencemag.org).)

53

_1

_2
_3

Rmax

Figure 19 Schematic SST change (1C) induced by a hurricane.

The distance scale is indicated in multiples of the radius of

maximum wind. Storm motion is to the left. The horizontal dashed

line is at 1.5 times the radius of maximum wind. (Reproduced with

permission from Black PG, Elsberry RL, and Shay LK, (1988)

Airborne surveys of ocean current and temperature perturbations

induced by hurricanes. Advances in Underwater Technology,

OceanScienceandOffshoreEngineering16: 51–58;rSociety for

Underwater Technology (Graham & Trotman).)
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Tropical Cyclone Rainfall

Precipitation in tropical cyclones can be separated into
either convective or stratiform regimes. Convective
precipitation occurs primarily in the eyewall and
rainbands, producing rains 425mmh� 1 over small
areas. However, observations suggest that only 10%
of the total rain area is comprised of these convective
rain cores. The average core is 4 km in radius (area of
50 km2), and has a relatively short lifetime, with only
10% lasting longer than 8min (roughly the time a
1mm diameter raindrop takes to fall from the mean
height of the 01C isotherm at terminal velocity). The
short life cycle of the cores and the strong horizontal
advection produce a well-mixed and less asymmetric
precipitation pattern in time and space. Thus, over
24 h the inner core of a tropical cyclone as a whole
produces 1–2 cm of precipitation over a relatively
large area, and 10–20 cm in the core. After landfall,
orographic forcing can anchor heavy precipitation to a
local area for an extended time. Additionally, midlat-
itude interactionwith a front or upper-level trough can
enhance precipitation, producing a distortion of the
typical azimuthally uniform precipitation distribu-
tion.

Energetics

Energetically, a tropical cyclone can be thought of, to a
first approximation, as a heat engine; obtaining its
heat input from the warm, humid air over the tropical
ocean, and releasing this heat through the condensa-
tion of water vapor into water droplets in deep
thunderstorms of the eyewall and rainbands, then
giving off a cold exhaust in the upper levels of
the troposphere (B12km up). One can look at the
energetics of a tropical cyclone in two ways: (1) the
total amount of energy released by the condensation of
water droplets or (2) the amount of kinetic energy
generated to maintain the strong swirling winds of the
hurricane. It turns out that the vastmajority of the heat
released in the condensation process is used to cause
rising motions in the convection, and only a small
portion drives the storm’s horizontal winds.

Using the first approach, we assume an average
tropical cyclone produces 1.5 cm day� 1 of rain inside
a circle of radius 665 km. Converting this to a volume
of rain gives 2.1� 1016 cm3 day� 1 (1 cm3 of rain
weighs 1 g). The energy released through the latent
heat of condensation to produce this amount of rain is
5.2� 1019 J day�1 or 6.0� 1014W, which is equiva-
lent to 200 times the worldwide electrical generating
capacity.

Under the second approach we assume that for a
mature hurricane, the amount of kinetic energy
generated is equal to that being dissipated due to

friction. The dissipation rate per unit area is air density
times the drag coefficient times the wind speed cubed.
Assuming an average wind speed for the inner core of
the hurricane of 40m s� 1 winds over a 60-km radius,
thewind dissipation rate (wind generation rate)would
be 1.5� 1012W. This is equivalent to about half the
worldwide electrical generating capacity.

Either method suggests hurricanes generate an
enormous amount of energy.However, they also imply
that only about 2.5% of the energy released in a
hurricane by latent heat released in clouds actually
goes to maintaining the hurricane’s spiraling winds.

Tropical Cyclone-Related Hazards

In the coastal zone, extensive damage and loss of life
are caused by the storm surge (a rapid, local rise in sea
level associated with storm landfall), heavy rains,
strong winds, and tropical cyclone-spawned severe
weather (e.g. , tornadoes). The continental United
States currently averages nearly $5 billion (in 1998
dollars) annually in tropical-cyclone-caused damage,
and this is increasing, owing to growing population
and wealth in the vulnerable coastal zones.

Before 1970, large loss of life stemmed mostly from
storm surges. The height of storm surges varies from 1
to 2m in weak systems to more than 6m in major
hurricanes that strike coastlines with shallow water
offshore. The storm surge associated with Hurricane
Andrew (1992) reached a height of about 5m, the
highest level recorded in south-east Florida.Hurricane
Hugo’s (1989) surge reached a peak height of nearly
6m about 20miles north-east of Charleston, South
Carolina, and exceeded 3m over a length of nearly
180 kmof coastline. In recent decades, large loss of life
due to storm surges in the United States has become
less frequent because of improved forecasts, fast and
reliable communications, timely evacuations, a better-
educated public, and a close working relationship
between the National Hurricane Center (NHC), local
weather forecast offices, emergencymanagers, and the
media. Luck has also played a role, as there have been
comparatively few landfalls of intense storms in
populous regions in the last few decades. The rapid
growth of coastal populations and the complexity of
evacuation raises concerns that another large storm
surge disaster might occur along the eastern or Gulf
Coast shores of the United States.

In regions with effectively enforced building codes
designed for hurricane conditions, wind damage is
typically not so lethal as the storm surge, but it affects a
much larger area and can lead to large economic loss.
For instance, Hurricane Andrew’s winds produced
over $25 billion in damage over southern Florida and
Louisiana. Tornadoes, although they occur in many
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hurricanes that strike the United States, generally
account for only a small part of the total storm
damage.

While tropical cyclones are most hazardous in
coastal regions, the weakening, moisture-laden circu-
lation can produce extensive, damaging floods hun-
dreds of miles inland long after the winds have
subsided below hurricane strength. In recent decades,
many more fatalities in North America have occurred
from tropical-cyclone-induced inland flash flooding
than from the combination of storm surge and wind.
For example, although in 1972 the deaths from storm
surge and wind along the Florida coast from Hurri-
caneAgneswereminimal, inland flash flooding caused
more than 100 deaths over the north-eastern United
States. More recently, rains from Hurricane Mitch in
1998 killed at least 10 000 people in Central America,
the majority after the storm had weakened to tropical
storm strength. An essential difference in the threat
from flooding rains, compared with that from wind
and surge, is that the rain amount is not tied to the
strength of the storm’s winds. Hence, any tropical
disturbance, from depression to major hurricane, is a
major rain threat.

Over each ocean basin that experiences tropical
cyclones, the poleward movement of a tropical
cyclone into the midlatitudes is normally associated
with the decay stage of its life cycle. However, these
systems can develop into fast-moving and rapidly
developing extratropical cyclones that contain tropi-
cal cyclone-force winds. These transforming tropical
cyclones may accelerate from forward speeds of
5m s� 1 in the tropics to 420m s�1 in the midlati-
tudes. They pose a serious threat and forecast problem
to maritime activities and shore locations over wide
geographic regions that do not normally experience
such conditions. A common problem in all these
regions is the difficult challenge of predicting accu-
rately the track, intensity, and impacts of these rapidly
changing systems after advisories have been discon-
tinued by the tropical cyclone forecast center. Fore-
casters responsible for producing warnings and
advisories during extratropical transition are faced
with the potential for large amounts of precipitation,
continued high wind speed, and generation of large
ocean waves and swell common in tropical cyclones.
However, the increased translation speed decreases the
warning time.Over land, the impacts are related to the
intensity of surface winds and precipitation as in
Hurricane Hazel in 1954, which resulted in a rapid
intensification and precipitation amounts 4200mm,
leading to 83 deaths in the Toronto area of southern
Ontario. Over the open ocean the increased storm
motion combinedwith the continuedhighwind speeds
produces extremely large surface waves, as in Hurri-

cane Luis in 1995, which produced waves 430m,
causing extensive damage to the luxury liner Queen
Elizabeth II.

Tropical Cyclone Forecasting

When a tropical cyclone threatens there are four
questions that must be answered: (1) where will it hit,
(2) when will it hit, (3) how strong will it be, and (4)
what type of threat should be expected (i.e., wind,
storm surge, heavy rain, severe weather). The answers
to these four questions are the goal of tropical cyclone
forecasters. Track is the most important forecast, as it
determines the answers to the first two questions.
Operational tropical cyclone track forecasting is a
semiobjective process that combines conventional,
satellite, and reconnaissance observations with input
from objective predictionmodels. At 12–24-h forecast
intervals, persistence of storm motion is a major
component of the forecast. However, an error in the
initial motion of 1m s� 1 will yield an 84.6 km error in
the 24 h forecast position. Since the tropical cyclone
motion processes are complex and nonlinear, track
uncertainty increases with time. For example, in the
United States, where track errors are the lowest
globally, the mean 24-h track error over the last 10
years is 170 km.However, 5% of the 24-h track errors
over the last 10 years are 4370 km. To minimize the
possibility that a coastal area may be struck without
time to prepare, much larger areas are warned than
will actually experience damaging winds. While spe-
cific track models have indicated up to 15% improve-
ment over the past 2–3 years, the average length of
coastline warned, 730 km (roughly a 4:1 ratio to the
track error) has not decreased over the past decade. In
fact, it has increased over the 30-year mean of 556 km
in response to the emergency manger’s desire for
longer lead time.

In the United States, emergency managers require
communities with limited escape routes to complete
preparation and evacuation before 17m s�1 winds
arrive on the coast. Hence, the length of coastline
warned is a combination of the forecast uncertainty in
the track forecast and the uncertainty in the forecast of
the radius of the 17m s�1 winds. Themean 24-h error
of the forecast 17m s�1 wind radii is 71 km, which is
about 30–35%of the actual radii, and represents a 4-h
error in lead time for a typical storm motion of
5m s�1. However, 5% of the 17m s� 1 wind radii
forecasts exceed 255 km. The warning of 730 km of
the coastline is justified as the sum of the 370 km
uncertainty in the track forecast plus the 255 km
uncertainty in the 17m s� 1 wind radii forecast to be
more than 95%confident that a coastal regionwill not
be struck without warning. Such overwarning is
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costly!Our best estimates of average preparation costs
for the warned coastline have increased roughly
sixfold from $50million in 1989 to $300million in
1996 ($410 000 km� 1 warned).

Another factor in the warning equation is storm
intensity, which addresses the third question. Prepa-
rations differ considerably for a major hurricane or
super typhoon than for a lesser storm (e.g., storm surge
inundation varies greatly with storm intensity). In the
United States the mean 24-h intensity forecast error
over the last 10 years is 5m s� 1 (half a category on the
Saffir–Simpson scale;Table 1), and 5%of the intensity
errors are412.5m s�1 (over 1 category on the Saffir–
Simpson scale). At 48 h, the mean intensity error is
8m s� 1, and 5% are 420m s�1 (two categories on
the Saffir–Simpson scale). Because the forecast inten-
sity of the storm at landfall is a key factor in who
evacuates, greater accuracy can lead to increased
public safety and reduced costs, although these savings
have yet to be quantified.

Understanding and predicting intensity change is
more complex than that for track as it requires
knowledge of interactions throughout the depth of
the troposphere over a broad spectrum of scales.
Observations are sparse in upper troposphere, atmos-
pheric boundary layer, and upper ocean, limiting
knowledge of environmental interactions, angular
momentum imports, boundary layer stress, and air–
sea interactions. Moreover, sea surface temperature
remains an important but incomplete measure of the
ocean’s influence on tropical cyclone intensity change.
Crucial unanswered questions concerning tropical
cyclone intensity change lie in the relative impact
and interactions of three major components: (1) the
structure of the upper-ocean circulations that control
the oceanic mixed-layer heat content, (2) the storm’s
inner core dynamics, and (3) the structure of the
synoptic-scale upper-tropospheric environment. A
successful intensity forecast requires knowledge
of the mechanisms that modulate tropical cyclone
intensity within the envelope defined by these three
components.

Once the 17m s� 1 wind radius crosses the coast the
important forecast issues relate to determining how
much damage is likely fromwind, ensuing surge, rain,
and severe weather, the answer to the fourth question.
These factors will determine the type and level of
emergency management response, and dictate where
the most resources for recovery are needed. To a first
order, the areas impacted bywind, ensuing surge, rain,
and severe weather are determined by the horizontal
and vertical wind distribution in the boundary layer
and the interaction of the wind field with coast and
inland topography. Currently, only a little information
is known about the wind structure and its distribution

with height and radial distance near landfall because
of the paucity of observations (research quality or
otherwise). Hence, a concerted effort is needed to
better understand what determines the distribution of
wind with height and radial distance in a high-wind
boundary layer. Aswith the intensity forecasts, greater
accuracy in the specification of the three-dimensional
wind structure at landfall should lead to increased
public safety and reduced costs, although these savings
have yet to be quantified.

Summary

‘The eye of the storm’ is a metaphor for calm within
chaos. The core of a tropical cyclone, encompassing
the eye and the inner 100–200 km of the cyclone’s
1000–1500 km radial extent, is hardly tranquil. How-
ever, the rotational inertia of the swirling wind makes
it a region of orderly, but intense, motion. It is
dominated by a cyclonic primary circulation in
balance with a nearly axisymmetric, warm-core,
low-pressure anomaly. Superimposed on the primary
circulation are weaker asymmetric motions and an
axisymmetric secondary circulation. The asymmetries
modulate precipitation and cloud into trailing spirals.
Because of their semibalanced dynamics, the primary
and secondary circulations are relatively simple and
well understood. These dynamics are not valid in the
upper troposphere, where the outflow is comparable
to the swirling flow, nor do they apply to the
asymmetric motions. Since the synoptic-scale envi-
ronment appears to interact with the vortex core in the
upper troposphere by means of the asymmetric
motions, future research should emphasize this aspect
of the tropical cyclone dynamics and their influence on
the track and intensity of the storm.

Improved track forecasts, particularly the location
and timewhen a tropical cyclone crosses the coast, are
achievable with more accurate specification of the
initial conditions of the large-scale environment and
the tropical cyclone wind fields. Unfortunately, obser-
vations are sparse in the upper troposphere, atmos-
pheric boundary layer, and upper ocean, limiting
knowledge of environmental interactions, angular
momentum imports, boundary layer stress, and air–
sea interactions. In addition to the track, an accurate
forecast of the storm intensity is needed because it is
the primary determinant of localized wind damage,
severe weather, storm surge, ocean wave runup, and
even precipitation during landfall. A successful inten-
sity forecast requires knowledge of the mechanisms
that modulate tropical cyclone intensity through the
relative impact and interactions of three major com-
ponents: (1) the structure of the upper ocean circula-
tions that control themixed-layer heat content, (2) the
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storm’s inner core dynamics, and (3) the structure of
the synoptic-scale upper-tropospheric environment.
Even if we could make a good forecast of the landfall
position and intensity, our knowledge of how a
tropical cyclone’s structure changes as it makes
landfall is in its infancy, because few hard data survive
the harsh condition. To improve forecasts, develop-
ments to improve our understanding through obser-
vations, theory, and modeling need to be advanced
together.

See also

Convective Storms: Overview. Cyclogenesis. Dyna-
mic Meteorology: Balanced Flows; Overview; Potential

Vorticity. El Niño and the Southern Oscillation:Obser-
vation; Theory. Middle Atmosphere: Quasi-Biennial
Oscillation. Severe Storms. Tropical Meteorology:
Inter Tropical Convergence Zones (ITCZ).
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HYDRAULIC FLOW

RB Smith, Yale University, New Haven, CT, USA

Copyright 2003 Elsevier Science Ltd. All Rights Reserved.

The study of hydraulic flow is one branch of a broader
field of fluid mechanics dealing with the dynamics of
density stratified flow under the influence of a gravity
field. It has a natural application to the stratified
atmosphere and ocean. The field of hydraulics is
distinguishable from other studies of stratified flow by
its emphasis on layered flow and the use of the
hydrostatic or longwave approximation. Typically, in
hydraulic flow formulations, the fluid system is com-
posed of one or more homogeneous fluid layers,
separated by sharp interfaces with density discontinu-
ities. This formulation, together with the hydrostatic
assumption, insures that the velocity is nearly uniform
with heightwithin each layer. In thisway, a continuous
problem is reduced to a problem with one or more
discrete layers; this results in a vast reduction in the
number of degrees of freedom. The possibilities for
mathematical analysis, numerical computation, and
physical conceptualization are greatly enhanced by the
simple formulation of hydraulic theory.

Historically, the field of hydraulics arose out of, and
is still largely involved in, the study of natural river
flowand engineering problems related towater flow in
channels. Its application to atmosphere and ocean
dynamics is more recent. Beginning in the 1950s, a
growing number of atmospheric applications have
been suggested. On large scales, C. G. Rossby, G.
Benton, and N. A. Phillips developed two-layer

mathematical models of the midlatitude atmosphere
including the Coriolis force. On smaller scales,
following the pioneering work of R. R. Long and M.
Tepper, a variety of atmospheric phenomena have
been treated with hydraulic models. Cool outflowing
air from thunderstorms, sea breeze fronts, and the
leading edges of cold fronts all behave like gravity
currents. Existing cool layers beneath marine inver-
sions and frontal layers behave hydraulically in
mountainous areas, causing barrier jets, gap jets,
hydraulic jumps, severe downslope winds, and wake
eddies. Cold high terrain can generate layered cold air
avalanches and katabatic winds.

In oceanography too, hydraulic theory has found
wide application. Basin to basin exchange of water
masses is limited by hydraulic control at sills and
straits. The propagation of tidal currents and tsunamis
is controlled by the long-wave speed. Turbidity
currents slump into the deep ocean according to
gravity current dynamics. Coastally trapped currents
obey amodified set of hydraulic equations. Even large-
scale wind-driven ocean currents are often modeled as
two layers, defined by the thermocline, with wind
stress and the Coriolis force playing dominant roles.

The theory of hydraulic flow is based on a few
fundamental definitions and concepts. These are:
reduced gravity, the long-wave speed, Froude number,
hydraulic control, conjugate states, the hydraulic
jump, and gravity or density current. Reduced gravity
(g0) is a measure of the effective magnitude of gravity
acting on layers of different density. It defined
as the product of the acceleration of gravity
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(g ¼ 9:81m s�2) times the relative density difference
(Dr=r) between the two superposed layers; thus
g0 ¼ ðDr=rÞg. In the compressible atmosphere, the
relative density difference is approximately the differ-
ence in potential temperature (Y), so that g0 ¼
ðDY=YÞg. For example, if the air above an inversion
is 31 warmer than the air below, and the average
potential temperature is 300K, the effective gravity is
g0 ¼ ð3=300Þg ¼ 0:0981m s�2. The long-wave speed
for a single layer is given by C ¼ ðg0HÞ1=2, whereH is
the depth of the layer. If a cool marine layer of air has
an effective gravity of g0 ¼ 0:1 and a depth of 1000m,
long gravitywaveswill propagate along it at a speed of
C ¼ ð0:1�1000Þ1=2 ¼ 10m s� 1.

The Froude number plays a central role in hydraulic
theory. It is defined as the ratio of flow speed (u) to
long-wave speed (C), i.e., Fr ¼ u=C. It is related to the
ratio of kinetic to potential energy in a layer, but is
more useful as a measure of whether waves can move
upstream against the current. Flows are categorized as
subcritical, critical, or supercritical according to
whether the Froude number is less than, equal to, or
greater than unity. In supercritical flow (Fr > 1), long
waves cannot move upstream or even stand steady,
against the fluid flow.As the longwaves are usually the
fastest waves in the system, information carried by
waves cannot then be felt upstream of a disturbance.
The nature of a fluid response to any disturbance is
highly sensitive to the Froude number.

Hydraulic control occurs whenever a layered flow is
forced to transition from subcritical to supercritical
flow by the narrowing of a channel or valley, the rising
of a sill or mountain, or the alteration of some other
geometric or external parameter (e.g., Coriolis force,
coastal slope, etc.). Downstream of the control point,
i.e., the point where the Froude number is unity,
supercritical flow prevents information from propa-
gating upstream. As a result, the amount of flow
through the channel cannot be altered from down-
stream. Only the upstream conditions and control
point characteristics have an influence.

Conjugate states are defined as multiple states of
flow, defined by fluid speed and layer depth, with
identical mass and momentum flux. They can be
computed easily in the hydraulic formalism. If a flow
has a conjugate state, it can, in principle, jump
spontaneously to its other state, without the loss or
gain of mass or momentum. Most commonly, this
occurs in a hydraulic jump (i.e., an abrupt thickening

of a layer), where energy may be dissipated by
turbulence, but mass and momentum are conserved.
Jumps are commonplace events in rivers, and related
phenomena have been identified in the atmosphere
and ocean.

A so-called gravity current or density current occurs
when a new fluid pushes its way over or under an
existing denser or less dense fluid, under the influence
of gravity. While it resembles a hydraulic jump, a
density current is not a sudden thickening of a pre-
existing layer, but the introduction of a new fluid layer.

The literature is not clear on whether all layered
formulations of stratified fluid mechanics should be
classified as ‘hydraulics’. When friction or Coriolis
forces dominate, the term hydraulics is less often used.

See also

Convective Storms:Convective Initiation.Density Cur-
rents. Downslope Winds. Dynamic Meteorology:
Overview. Gust Fronts. Katabatic Winds. Land–Sea
Breeze.LeeWavesandMountainWaves.Mesoscale
Meteorology: Overview. Microbursts. Mountain Me-
teorology. Solitary Waves. Static Stability. Valley
Winds.
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Introduction

Hydrology is the science that encompasses the study of
water on the Earth’s surface and beneath the surface of
the Earth, the occurrence and movement of water, the
physical and chemical properties of water, and its
relationship with the living and material components
of the environment. Ultimately, many hydrologic
questions involve the transport of solutes, nutrients,
energy, sediment, or contaminants, as well as the
fluxes of water itself.

As a science, hydrology has both basic and applied
aspects. The first relates to questions about the Earth
system, and specifically about the role of water in
natural processes, particularly as related to the Earth’s
biosphere. The second relates to using scientific
knowledge to provide a sound basis for wise usage of
water resources. The development of hydrologic
science in recent years is based on both of these
aspects, which are equally important and intimately
linked.

Water is central to most natural processes. Water
weathers, then transports sediment and solutes to
lakes and oceans, thereby shaping the landscape. The
land-based part of the Earth’s water cycle is important
for transporting carbon from the continents to the
ocean. The high capacity of water for storing thermal
energy and the large amount of heat required to
change between solid, liquid, and vapor forms of
water strongly influence the global energy balance.
The distribution of atmospheric water and its regula-
tion by oceanic and land-surface processes make it a
central aspect of climate. Water vapor is the most
important greenhouse gas. In short, life depends on
water.

Hydrologic science has an important place in the
field of water resources, especially freshwater resourc-
es, which are the subject of intense concern and study.
In arid and semi-arid regions, the fair allocation and
wise use of water are significant societal challenges,
affecting relations between nations, states, cities, and
individual users. As a global resource, water appears
abundant. Locally and regionally it is often taken for
granted. However, the twentieth century has wit-
nessed a tremendous growth in the use of water,
resulting in limits on both its availability, due to
human exploitation, and its quality, owing to con-
tamination.

Water Cycle

A fundamental concept of hydrology is the hydrologic
cycle, which can be described at many different scales
of space and time. At the global scale, the hydrologic
cycle is the endless recirculatory process linking water
in the atmosphere, on the continents, and in the
oceans. We can think of this recirculatory process in
terms of reservoirs or compartments that store water
(e.g., oceans, atmosphere, glaciers, ice sheets, ground
water) and the movement of water between them.
Movement ofwater fromone compartment to another
can occur in any of the three phases. For example, the
movement of water between the land surface and the
atmosphere occurs in the vapor phase (evaporation
and condensation), liquid phase (rain), and solid phase
(snowfall).

Solar energy and gravity are the main forces driving
the hydrologic cycle. The dynamic processes of water
vapor formation and transport of vapor and liquid in
the atmosphere are driven largely by solar energy.
Precipitation and the flow ofwater on and beneath the
Earth’s surface are driven primarily by gravity.Within
partially dry soil, gravitational pressure and capillary
forces are responsible for the movement of water.

The hydrologic cycle can be considered to start
anywhere, but it is often convenient to consider
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atmospheric water first. The dominant hydrologic
process involving atmospheric water is precipitation
of water to the land surface. Condensation of water
from the atmosphere to the land surface (e.g., dew,
frost) and fog deposition can be important locally, in
the absence of precipitation. Precipitation that reaches
the land surface as snow or ice can be retained on
vegetation and subsequently evaporate or fall to the
ground, accumulate in seasonal snowpacks, and later
melt or evaporate or accumulate in glaciers, ice caps,
or ice sheets. Water is also lost from glaciers and ice
caps by evaporation andmelting; pieces of ice can also
break off from the edges of glaciers and ice sheets (this
is known as calving) and be returned directly to the
ocean, in the form of icebergs. A portion of rain or
snowfall can be retained temporarily on vegetation
surfaces, and subsequently evaporate or fall to the
ground. Rain or snowmelt can also collect in surface
depressions, enter into the soil (infiltration), or flow as
runoff over the land surface into small rivulets and
ultimately into larger streams, lakes, and rivers.Water
that infiltrates into the soil can also follow different
paths. Some returns to the atmosphere by evaporating
from the soil or being transpired by plants (transpira-
tion), the sum of which is termed evapotranspiration.
The remaining water continues to move downward
through the soil and recharges the saturated portion of
the subsurface, becoming groundwater. Ground water
discharges into streams and rivers, or directly to
the ocean. Water evaporates from the surface of the
oceans and thereby replenishes the water in the
atmosphere.

Much effort in hydrology goes toward estimating
the amounts of water in the various storage compart-
ments and the magnitudes of the various flows to and
from these compartments at local, regional, and global
scales. Nearly 97% of all water on the Earth is stored
in the oceans, while only about 0.001% is stored in the
atmosphere. Fresh water accounts for about 2.5% of
the total storage, 70%ofwhich is contained in the two
polar ice sheets and 30% is found in ground water.
Only about 0.4% is found in glaciers and ice caps. The
fresh water in lakes, streams, rivers, and marshes
represents only 0.26% of all fresh water and 0.008%
of all water on Earth. That is, if the Earth’s ocean
were represented as a 16 l (4 gallon) bucket, the fresh
water fraction would be equal to a little over 1ml
(14 teaspoonful).

Another useful concept for enumerating reservoirs
and the flows of water through them is residence time,
which is a measure of how long, on average, a
molecule of water spends in that reservoir before
movingon to another reservoir of the hydrologic cycle.
For a system at steady state, i.e. with inflow and
outflow the same, residence time is equal to the size of

the reservoir (e.g., in m3) divided by the flow through
the system (e.g., inm3 yr� 1).Water in the oceans has a
residence time approaching 3000 years, less than half
of the residence time for ice sheets, while in the
atmosphere it has a residence timeof only 0.02 years or
about 8 days; the residence time in rivers is 0.05 years
or about 17 days.

Most of hydrology deals with scales smaller than
global; however, the same concepts of fluxes and
reservoirs apply.A catchment is an area inwhichwater
falling on or flowing across the land surface drains into
a particular stream or river and flows ultimately
through a single point or outlet. Thus a catchment is
defined relative to a specific location and includes all of
the land area that drains to that point; i.e., it can be
considered to catch the water that flows past that
point. Clearly, then, any number of catchments can be
defined for a particular river (corresponding to any
location along the river). Some special locations of
interest for defining catchments are points correspond-
ing to dams, stream gauges, cities, and a river’s mouth.
Groundwater reservoirs (aquifers), on the other hand,
are defined by subsurface geologic structure. Aquifers,
or water-bearing formations, are bounded bymaterial
of low permeability, i.e., material with a very small
ability to transmit water.

Precipitation

Precipitation is the deposition of liquid water droplets
and ice particles that have formed in the atmosphere
and grown to a size sufficient to fall to the Earth’s
surface by gravity. Precipitation is classified according
to the phase it is in when it reaches the ground, i.e.,
solid (snow, sleet, and hail) or liquid (rain and freezing
rain). Other deposition processes (e.g., direct deposi-
tion of dew and fog), though generally small, can
however be important in terms of chemical fluxes (e.g.,
acidic fog).

Most of the precipitation falling over North Amer-
ica originates from the bordering oceans, even in the
interior of the continent. However, over the Amazon
basin, a significant fraction of the precipitation is
derived from within-basin evapotranspiration. In
other continental basins, local evapotranspiration
does have some influence on local precipitation, but
most of the precipitated water must be transported
significant distances across the continents from the
oceans.

Average precipitation over the continents is ex-
tremely variable geographically, reflecting the influ-
ence of a number of important physiographic factors.
First, precipitation increases with elevation owing to
orographic cooling. Second, precipitation is typically
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higher on windward than on leeward sides of moun-
tain ranges. Third, precipitation tends to dropoff as air
masses move further inland, away from the ocean.
Fourth, the temperature differences between adjacent
land and ocean influence moisture transport. Fifth,
prevailing wind direction has local to regional effects.

Global average precipitation is about 1000mmyr�1.
In the continental US, average annual precipitation
ranges from about 40mmyr� 1 at Death Valley,
California (in the Mojave Desert), to over 3000
mmyr� 1 in parts of the Pacific Northwest. In the
Atacama Desert of northern Chile rainfall is infre-
quent, averaging under 1mmyr� 1.

Rainfall and snowfall are measured at a point by
collectors of very simple construction. Essentially, any
receptacle with a reasonable opening can serve to
estimate the precipitation per unit area. In the US, the
standard gauge has a 20 cm diameter opening.Wind is
probably the single most important factor in rain
gauge accuracy. Updrafts resulting from airmoving up
and around the instrument reduce the catch,which has
led to the development of elaborate shields to mitigate
wind effects and detailed correction procedures.

In a few areas, radar is also used for precipitation
measurement, although rain gauges are generally
required for calibration. Radar emits electromagnetic
energy in narrow bands, which upon hitting precipi-
tation is partially absorbed, scattered, and reflected.
Some of the reflected energy returns to the transmitter,
and the attenuation of the signal indicates the intensity
of rainfall. In principle, the samemethod could be used
for snowfall.

Snow accumulation at a point is more accurately
measured, either in situby snowpillows equippedwith
pressure transducers ormanually. Snow accumulation
is reported in terms of equivalent water depth rather
than snow depth, the proportionality factor being the
density. Snow accumulation can also be measured
from aircraft in terms of the extinction of gamma or
other types of radiation. Satellites are used for
estimating snowpack depth and areal coverage. A
combination of visible and infrared signals are used to
extract snow-covered area. Over flat terrain, passive
microwave signals indicate snow water equivalent.
Because much snow falls in heterogeneous terrain and
is thus not uniformly distributed, accurate measure-
ments of snow water equivalent remain a major
challenge. Snow measurement networks in the west-
ern US consist of index sites, for which correlations
with streamflow have been developed. They do a
relatively poor job of providing direct estimates of
snow volume.

Snowmelt plays a major role in the hydrology of
midlatitudes, as many rivers originate in mountains
where snowdominates the precipitation. In contrast to

rainfall, snowfall has a delayed effect on river flow and
hydrology. Accumulation occurring during winter
months becomes all-important during spring runoff,
which provides much of the streamflow, ground water
recharge, and soilmoisture forwide areas of the Earth.
Melt waters can also cause serious floods, particularly
when compounded with spring rainfall.

Catchment

Much effort in hydrology focuses onwater balances at
the scale of a catchment, be it a 1 km2 headwater basin
or a 100 000 km2 regional basin. Hydrologists often
think of a catchment as functioning like a group of
reservoirs that store and release water. Precipitation
and snowmelt are the inputs to the catchment reser-
voir, and evapotranspiration and runoff are the
outputs. Integrating the various processes that affect
runoff involves quantitative partioning of the different
fluxes and reservoirs into downstream fluxes and
reservoirs. For example, a fraction of precipitation is
intercepted by vegetation, with the remainder falling
to the ground. Intercepted rain and snow then either
evaporates or eventually falls to the ground. Snow on
the ground partitions between snowmelt and subli-
mation. Rainfall or snowmelt reaching the ground
either infiltrates or runs off, depending on the infiltra-
tion capacity of the soil. A portion may flow down-
stream in the subsurface and reemerge at a lower point
in the catchment. Much infiltrating water may even-
tually be transpired by plants or evaporated, though
some will travel downward sufficiently far to enter, or
recharge, a ground water aquifer. Of all these quan-
tities, surface runoff in streams and rivers, or dis-
charge, is most often measured.

Discharge is estimated by continuously measuring
the stage, or height of a stream at a point using a
pressure transducer or a mechanical float. This point
measurement is then related to the volumetric dis-
charge through a calibration, or rating, curve, which is
developed by measuring the volumetric discharge at
the gauged point for many different stages. A time
series graph of discharge is commonly referred to as a
hydrograph.

A streamflow hydrograph is often defined in terms
of two components, quickflow and baseflow. Separa-
tion of a hydrograph into two components suggests
that water is being routed through two different
storage reservoirs. During and after rainfall and
snowmelt events, water moves through the catchment
into the stream channel and the discharge increases
(quickflow). The resulting peak in the hydrograph is
generally defined as a flood, regardless of whether the
river actually leaves its banks and causes damage.
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Background discharge between floods (baseflow) is
supplied by inflow of groundwater, whichmay lag the
occurrence of precipitation by days, weeks, or even
years.

Water flowing across the ground surface is termed
overland flow. For this to occur, water must accumu-
late at the surface rather than infiltrate into the soil.
This happens for threemain reasons: (1) the catchment
surface may be nearly impermeable owing to the
presence of exposed bedrock or pavement; (2) the
instantaneous rate of infiltration through the pervious
surface may be exceeded by the instantaneous rate of
rainfall (or snowmelt) onto the catchment surface,
causing ponding of water at the surface, and (3) the
catchment soil upon which the rainfall is precipitated
may be saturated to the soil surface, causing ponding
because the precipitatedwater cannot infiltrate into an
already saturated soil. Overland flow in catchments is
one of the most rapid paths that water can follow to
the stream channel.

Water that has infiltrated the soil surface continues
to be influenced by gravity, so that it percolates
downward through the soil profile. In general, the
ability of the soils and rocks of a catchment to conduct
water (hydraulic conductivity) decreases with depth;
water percolating downward has thus been observed
to back up, causing local areas of saturation in the soil.
In these instances, water may move laterally toward a
stream by a process known as shallow subsurface
stormflow. Some of the water in subsurface stormflow
moves at a relatively slow pace through the soil and
contributes to the baseflow of streams, particularly
during wetter winter and spring periods. Subsurface
stormflow also may occur quite rapidly along pre-
ferred flow pathways or macropores (e.g., soil cracks,
old animal burrows, and decayed root channels).

Vadose

In most areas, the water table is some distance below
the ground surface. Between the ground surface and
the water table is a region in which the pore spaces of
the rock or soil may be partly filled with air and partly
with water. This region is referred to as the unsatu-
rated zone or vadose zone, and water in this zone is
referred to as soil moisture. Hydrologists want to be
able to describe the amount of water in the unsatu-
rated zone and fluxes through the zone for two main
reasons. First, ground water recharge occurs through
this zone. Second,most terrestrial plants extract water
from the vadose zone. Plants wilt when soils become
too dry because the tension forces holding the water in
the soil are too great to allow the plants access to the
water. Related to the water balance of plants is the

practice of irrigation in agriculture, which accounts
for about two-thirds of global water use. Understand-
ing the movement of soil water, its uptake by plants,
and its loss through evapotranspiration and recharge
to the groundwater system is essential in this regard.

Hydrologists have traditionally recognized three
divisions within the unsaturated zone: the capillary
fringe, the intermediate belt, and the belt of soil water.
The capillary fringe is a zone in which the pressure is
less than atmospheric, overlying the zone of saturation
and containing capillary interstices, some or all of
which are filled with water that is continuous with the
water in the zone of saturation but is held above that
zone by capillarity forces acting against gravity. That
is, the capillary fringe is a saturated zone above the
water tablewhere water is affected by capillary forces.
Above that is a zone of soil water from which water is
discharged to the atmosphere by the action of plants or
by evaporation. For themost part, plants extractwater
from a portion of the soil near the surface (the ‘root
zone’). Depending on the depth of the vadose zone and
the plant, roots may lie only in the upper part of the
vadose zone, or extend into the water table. For
example,most grasses have roots extending only a few
centimeters to tens of centimeters, whereas some trees
in semi-arid regions have roots that extend through
vadose zones that are tens ofmeters thick and reach the
water table. The volumetric moisture content (volume
of water per bulk volume of soil sample) in the
capillary fringe is the saturation value. In other words,
the pores are completely filled with water. As water
drains or iswithdrawn by plants, soilmoisture content
decreases from saturation to a fairly constant value,
termed the field capacity.

Rates of removal of water from the unsaturated
zone by evapotranspiration are controlled by a
number of factors, including the wetness of the soil
itself. If a vegetated surface is supplied with plenty of
water (e.g., a well-watered lawn), evapotranspiration
will be controlled by atmospheric conditions, e.g.
solar radiation, wind speed, and humidity. That is,
evapotranspiration will proceed at the maximum rate
(potential evapotranspiration). As a soil dries, evapo-
transpiration will proceed at the potential rate for
some time, but ultimately the rate will drop. As water
is pulled from the soil near a plant root, the moisture
content in the soil surrounding the root decreases. In
order to maintain a steady flow of water to the plant
root, the plant must exert ever greater suction (ever
greater negative capillary pressure heads). At some
point, the plant cannot sustain this battlewith a drying
soil and the transpiration rate falls below the potential
rate.

Most plants have openings (stomata) on their leaves
to allow them to take up carbon dioxide from the
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atmosphere. When the stomata are open, plants
transpire water. Unlike evaporation, transpiration is
not controlled solely by physical conditions because
plants regulate the rate at which water is released in
transpiration in amanner that varies by plant type and
ecological conditioning. Of the water taken up by
plant roots, most is transpired through the stomata. A
few percent is concerted to biomass through photo-
synthesis. Hence, to first order, the water taken up by
the roots is converted to vapor and lost to the
atmosphere. The degree of stomatal restriction varies
considerably across plant species and even throughout
the year for a given species.

Ground Water

The largest accessible fresh water reservoir for human
exploitation is groundwater, orwater that is present in
the fractures and interstitial spaces in subsurface
geologic materials. In contrast to the vadose zone, in
groundwater the void spaces are completely filledwith
water. An aquifer is a saturated geological formation
that contains and transmits significant quantities of
water under normal field conditions. ‘Significant’ is a
vague term, but the implication is that aquifers are
formations that can be used for water supply. Many
aquifers are unconsolidated materials, mainly gravel
and sand. Examples of this type of aquifer include
those in coastal plains and intermontane valleys.
Limestones, partially cemented sandstones and con-
glomerates, and permeable volcanic and igneous rocks
are also important as aquifers.

An aquitard is a formation of relatively low perme-
ability, and includes both formations that contain
water but do not transmit significant quantities (e.g.,
clays and shales) and formations that neither contain
nor transmit significant quantities of water (e.g.,
unfractured crystalline rocks).

Aquifers are classified according to hydraulic con-
ditions as well as type of material. Ground water by
definition refers to water in the saturated zone of the
subsurface; one type of aquifer is an unconfined or
water table aquifer. Deeper in the soil profile, satu-
rated conditions prevail (the saturated zone). The
water table is defined as a surface of zero (gauge)
pressure within the subsurface, and separates the
saturated and unsaturated zones. Water will flow into
an excavation orwell up to this level; thewater table is
equivalent to a free surface. An aquifer with the water
table as the bounding surface at its top is anunconfined
aquifer.

The second type of aquifer is a confined or artesian
one. This is found when permeable material (the
aquifer) is overlain by relatively impermeable materi-

al. The water in a confined aquifer is under pressure
and, in a well penetrating the aquifer, will rise above
the top of the aquifer. The height to which water rises
in a well defines the piezometric surface, or pressure of
water in the aquifer.

In areas where the water table is sufficiently close to
the ground surface, ground water levels are influenced
directly by transpiration. During the day, when
transpiration is high, water movement is upward
from the water table and the level declines. At night,
transpiration is reduced, groundwater flows laterally
from locations relatively unaffected by direct transpi-
ration effects, and the water table recovers.

Recharge to aquifers can occur from direct infiltra-
tion of rainfall or snowmelt past the root zone and to
the water table. Water can also seep from surface
water bodies, such as rivers, ponds and lakes, into the
ground. Artificial recharge (recharge induced by
activities of people as opposed to that which occurs
naturally) can be implemented by introducing water
into rechargewells or by routingwater into infiltration
basins in permeable material.

The specific yield is a hydrologic parameter that
determines the response of the water table to changes
in inputs and outputs. In the case of an increase in
evapotranspiration, the change in water table level
may be fairly uniform over a given area, although
variations will occur due to the lateral movement
of groundwater and spatial variations in evaporation
rate and vegetation. Pumping a well has a different
effect. Pumping produces a decrease in hydraulic
head at a point, which increases the hydraulic
gradient toward the well. The change in water
level in the pumping well, or in observation wells
nearby, is referred to as drawdown. The amount
of this drawdown will decrease as one moves away
from the pumping well, and the pattern produced is
called a cone of depression because of its characteristic
shape.

Integration

The need for an integrated understanding of water
cycles and linked chemical cycles is critical for a
number of reasons. For example, a quantitative
understanding of how ground water recharge changes
with precipitation in a variable or changed climate
requires anunderstandingof howcatchment processes
respond to translate precipitation into recharge. Un-
derstanding how evapotranspiration and ecosystem
functioning respond to change in land use depends on
how water and nutrient fluxes change. Hydrologic
science is at the center of many pressing issues in other
natural sciences.
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Introduction

Water is one of the most precious and indispensable
natural resources for civilization. As important com-
ponents of the hydrological system on Earth, ground
water and surface water impact numerous aspects of
theEarth’s processes andmany facets of ourdaily lives.
Water at the Earth’s surface interacts directly with the
atmosphere, and water in the subsurface continuously
redistributes thermal energy and dissolved minerals in
the Earth’s crust at a variety of temporal and spatial
scales. Hydrology encompasses the study of the
occurrence and movement of water both at the land
surface and in the subsurface environment. Water
stored in the subsurface is known as groundwater and
is either in a moisture state in near-surface soils or in a
liquid state in rock voids at greater depth. Some texts
exclude moisture from the broad definition of ground
water.

Focusing on the physical aspect of the dynamics of
ground water and surface water, this article reviews
our current knowledge of water as a resource, and
explains the main concepts associated with ground
water and surface water storage. The fundamental
principles and material properties governing water
movement are presented. Finally, the applied aspects
of hydrology as it relates towater contamination, land
subsidence, and geological processes are discussed.

Water as a Resource

While the presence of abundant liquidwatermakes the
Earth a unique planet in the solar system, that
abundance has been challenged throughout human

history as numerous local and regional conflicts over
water resources have erupted. Evidence of early
attempts to harness water for human purpose has
been documented by archaeologists. For example,
clever water usage for irrigation can be traced as far
back as 4500 years ago in the Middle East. Also, a
remarkable water-collecting tunnel system dating
from around 500 BC in Egypt has been unearthed. As
world population grows at an unprecedented rate, the
demand for water is expected to continue, particularly
in arid developing countries. The globalwithdrawal of
water in the last century is shown in Figure 1; a sharp
increase is seen in the last 50years. The total daily fresh
water withdrawal in the United States from 1950 to
the present follows the general global trend (Figure 2).
The decrease in the 1980s is primarily due to increased
irrigation efficiency and a reduction in water con-
sumed in the thermoelectric power industry as a result
of improved power plant technologies and efficiencies.
The decrease in industrial water usage, however, is
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accompanied by a continual increase in domestic
water consumption.

Global Water Distribution

Figure 3 shows the global distribution ofwater. Of the
water on Earth, 97% is stored in the ocean and is too
salty to be used directly for human consumption. Ice
caps and glaciers, the next largest water reservoir, hold
approximately 2% of the global water, which counts
for 94% of the total fresh water. The vast domain of
the subsurface holds only about 1% of the water on
Earth. Furthermore, only the water in the upper few
kilometers of the Earth’s crust is accessible and fresh
enough for human consumption. The salinity of
ground water increases with depth and often becomes
too high for the water to be useful as a resource below
4 or 5 km. Surface waters, including streams, lakes,
and rivers, hold only 0.01% of the global water.
Seemingly a small fraction of thewater budget, surface
water has served as the main resource for civilization,

primarily owing to its easy accessibility. The remain-
ing water is distributed in the atmosphere and
biosphere.

Hydrological Cycle

Powered by solar energy, the hydrological cycle is the
endless movement of water from one reservoir to
another in the Earth system (Figure 4).Water evapora-
tes into the atmosphere from open waters such as
oceans and lakes, from soil moisture in the unsaturat-
ed zone, and from the water table. Plants lose water to
the atmosphere through the process of transpiration.
These two processes, evaporation and transpiration,
are collectively known as evapotranspiration. Water
falls back to the Earth’s surface as precipitation in the
formof snowor rain.Upon reaching the surface,water
flows overland as runoff to streams or infiltrates to the
subsurface to become groundwater. In the subsurface,
water infiltrates through soils, recharges the ground
water table and joins the ground water flow system.
Ground water takes its course through geological
basins of various scales, and some eventuallymakes its
way to the oceans while some accumulates in inland
aquifers. The rates of water flow between reservoirs
within the hydrological cycle vary spatially and
temporally in the Earth’s system. As a result, the
residence time of water – the time water remains in a
reservoir since recharge – in different reservoirs varies
fromhours in the near-surface soil to tens of thousands
of years in rocks several kilometers deep in the crust.

Water Budget Balance

The primary objective in studying ground and surface
water is to understand the spatial and temporal
variations of water storage and movement. One basic
principle governing these variations is the conserva-
tion of mass, or water balance. This principle requires
that the amount ofwater enteringminus the amount of
water exiting equals the change in storage of a
controlled volume during a specified time period. A
watershed, or drainage basin, is a geographic region
over which the principle of water balance is applied.
The watershed is defined as the area over which all the
water flows into a given section of a stream.Watershed
delineation is based on topography, where topo-
graphic divides, or ridges, form the boundaries of a
watershed. Equation [1] gives a water balance aver-
aged over a long period.

PþGin � ðQþ ET þGoutÞ ¼ 0 ½1�

In eqn [1], P is the precipitation, Gin is the ground
water inflow, Q is the stream outflow, ET includes
evaporation and transpiration, andGout is the ground
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water outflow. All quantities have the dimension
[L t�1].

Subsurface Hydrological System
Characterization

Water Table

In near-surface soils, water is in the formofmoisture in
the unsaturated zones where void spaces are partially
filled with water. At deeper locations, void spaces are
completely filled with water, which forms saturated
zones. The boundary between the unsaturated and the
saturated zone marks the water table. The shape of a
water table generally follows the topography, near the
surface in low lands but deeper in high elevations. The
depth of the water table varies in both space and time.
In humid areas, the water table can be at or near the
surface, whereas in drier regions thewater table can be
hundreds of meters below the land surface. The water
table can rise inwet seasons as precipitation percolates
through unsaturated zones to the water table, and can
drop in dry seasons when more water is lost through
evaporation and transpiration. The most reliable way
to locate water table depth is to drill wells. Because
ground water beneath the water table flows in the
general down-slope direction of the water table,
knowledge of water table shape and position gives

useful basic information on the direction of ground
water flow.

Porosity, Permeability, and Hydraulic Conductivity

The primary factors controlling ground water occur-
rence and movement in the subsurface are the hydro-
logical properties of the geological material of interest
and the hydrological driving force. The most impor-
tantmaterial properties are porosity and permeability.
Porosity, defined as the fraction of void space in a unit
volume, may vary from 0–5% for tight igneous and
metamorphic rocks to 25–50% for sands or fractured
rocks. Clay can have a porosity as high as 70%.
Porosity is a directmeasure of the geologicalmaterial’s
capacity for holding water.

Permeability, on the other hand, is a measure of the
material’s ability to transmit water. It is defined as
follows: k ¼ Cd2, where k is the intrinsic permeability
[L2],C is a constant of proportionality related to grain
size, sediment sorting, and packing arrangement, and
d is the average grain diameter [L]. The ease of flow
differs dependingon the type of fluidflowing through a
system. One can imagine that a fluid that is sticky like
honeywould flowmuchmore slowly thanwould clean
water in the same medium. It is necessary to consider
not only the medium but also the fluid properties.
Consequently, a hydraulic conductivity is introduced,
defined as K ¼ krg=m, where K is the hydraulic
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Figure 4 The hydrologic cycle. The water table is the boundary between the unsaturated zone above and the saturated zone below.

Upon reaching the land surface, precipitation either infiltrates soil to replenish ground water or flows overland as runoff to open water

bodies. Water evaporates from open water bodies at the Earth’s surface, soil moistures in the unsaturated zone, and the water table.

Transpiration occurs over vegetated lands. Ground water flows through the vast domain of the subsurface and returns to the oceans.
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conductivity [L t�1],r is the fluid density [ML�3], g is
the acceleration [L t�2], and m is the dynamic viscosity
of the fluid [ML� 1 t� 1]. Values of hydraulic conduc-
tivity vary over several orders of magnitude from
10� 13 m s�1 for unfractured rocks to 1m s�1 for
sands and gravels. The most reliable means of obtain-
ing the hydraulic conductivity values is in situ well
testing. When water is withdrawn from or injected
into a well, the rate of water level recovery in the well
can be monitored by a pressure transducer and
recorded by a data logger. The rate of water level
recovery, as an indicator of the material permeability,
is used to compute the hydraulic conductivity of the
material surrounding the well. Laboratory tests on
core samples are conducted to obtain hydraulic
conductivity values valid at centimeter scales. Com-
puter modeling is also commonly practiced as an
indirect means of inferring hydraulic conductivity at
different scales.

Aquifers, Aquitards, and Aquicludes

A geological unit that is highly permeable and that can
transmit a significant amount of groundwater is called
an aquifer. When an aquifer is confined between two
less-permeable units, it is called a confined aquifer.
When bounded at the top by the water table, the
aquifer is called an unconfined aquifer.Water pressure
in confined aquifers is usually higher than in uncon-
fined aquifers. Thus, when a well is drilled into a
confined aquifer, the water level in the well can rise to
above the land surface to form artesian flow. An
aquitard is a less permeable geological unit, while the
term aquiclude refers to an impermeable unit. As
absolutely impermeable geologicalmaterial is rare, the
term aquiclude is infrequently used in hydrological
characterizations. Aquifer and aquitard are more
commonly used to characterize geological systems.
For distinction, aquifers and aquitards are often
identified in a relative sense. Gravel, sandy materials,
or highly fractured rock make good aquifers, whereas
clay-rich, poorly sorted sediments, and unfractured
rocks often form aquitards.

Physical Hydrological Processes

Water in Soils

Near the land surface at shallow depths, soils are often
partially saturated; such a region is known as the
unsaturated zone. The degree of saturation is defined
as the fraction of pores that contain water, and varies
from0, representing a dry condition, to 1, representing
a fully saturated condition. The water in the partially
saturated soils clings to soil particle surfaces and is
sustained by suction or tension. Pore pressure in the

unsaturated zone is conventionally expressed in neg-
ative values, reflecting the use of atmospheric pressure
as the zero reference pressure. The pore pressure
distribution and the rate of moisture movement vary
spatially depending on soil types and weather condi-
tions and temporally in response to rainstorms,
seasonal changes, and long-term climate change.

Infiltration is an important process in the unsatu-
rated soil zones and involves downward movement of
moisture under wet climatic conditions. The infiltra-
tion rate over a small area can bemeasured using a ring
infiltrometer. This is a portable cylindrical ring, with a
diameter from a few centimeters to 20 cm, extending
several centimeters above and below the surface of the
soil. The rate of water dissipating from the ring
infiltrometer into the soil can easily be converted to an
infiltration rate.

In contrast to infiltration, evaporation and transpi-
ration draw moisture upward under dry climatic
conditions. Evaporation causes water loss from sur-
face waters, such as lakes and rivers, and from
shallow-depth soils. Water evaporates as a vapor
diffusion process that is largely controlled by the
energy exchange between radiation or sensible heat
from the atmosphere or ground, and the heat energy
change in the evaporating body. A direct method for
determining the evaporation rate has been developed
and is known as the pan-evaporation approach. It
involves exposing a cylindrical pan of water to the
atmosphere in clearings where precipitation can be
monitored. The standardUSNationalWeather Service
Class A pan is 1.22m in diameter and 25.4 cm deep.
Transpiration is a process whereby water is lost to the
atmosphere through the vascular systems of plants.
The transpiration process works by absorption of
water by plant roots, translocation of liquid through
the plant vascular system, and transpiration into the
atmosphere through openings in the leaf surface.
Although transpiration is also considered a diffusion
process, water is first pulled through the plant by a
potential energy gradient before diffusing into the air
in response to a vapor pressure difference.

Hydraulic Head

Hydraulic head is one of the key parameters describing
the mechanical energy state of a hydraulic system. It
represents themechanical energy per unitweight of the
fluid in the system. Hydraulic head is defined as
h ¼ hp þ hz, where h is the hydraulic head, hp is the
pressure head, and hz is the elevation head. All three
quantities have the dimension [L]. The pressure head
represents the energy due to pore fluid pressure, and
the elevation head represents the gravitational energy
arising from elevation. Water flows from high to low

976 HYDROLOGY / Ground and Surface Water



hydraulic heads. Knowledge of the hydraulic
head distribution in an area allows one to estimate
the direction and rate of flow according to Darcy’s
law, which is described in the following section.
In situ measurement of hydraulic head is
accomplished by measuring the water levels in
wells, using electric sounding water tapes or similar
devices.

Darcy’s Law

The basic theory governing groundwatermovement is
Darcy’s law, named after Henry Darcy, a French
engineer. InDijon, France, in 1856,Darcy performed a
water purification experiment using a simple setup
involving water flow through a cylindrical sand
column. The experimental data led to an empirical
relationship between water flux and the experimental
parameters. That relationship later became the well-
known Darcy’s law. In a one-dimensional system,
Darcy’s law is expressed as eqn [2].

Q ¼ �AK
dh

dx
½2�

In eqn [2], Q is the volumetric flow rate [L3 t� 1], A
is the cross-sectional area of flow [L2], K is the
hydraulic conductivity [L t� 1], h is the hydraulic
head [L], and x is the distance coordinate [L]. The
dimensionless quantity dh=dx is called the hydraulic
gradient. It is clear that the hydraulic gradient is
the primary driving force for ground water flow.
The negative sign in the equation denotes that ground
water flow is in the direction of decreasing hydraulic
head.

Ground Water Flow Patterns

The movement of ground water normally occurs as
slow-moving seepage through the pore spaces in soils
and rocks or as relatively fast flow through rock
fractures. The velocities are generally much slower
than stream flow, andmay be as low as 10�9m s�1. A
ground water velocity on the order of 10� 6m s�1

would be considered high. The low velocity of ground
water has important implications for geological proc-
esses such as metamorphisms and ore formation as
well as for contaminant movement because it leads to
longer residence times. The extent of ground water
systems varies from local hill slopes at meter scales to
regional geological basins at kilometer scales. Flow
paths are shallower in local flow regimes and deeper in
regional flow systems.As a result, the residence time of
ground water also varies significantly ranging from
hours or days in shallow and small systems to tens of
thousands of years in deep and large geological basins.

Wells

Wells serve as a window to the subsurface in the study
of ground water. The primary need for wells is to
withdrawwater from the ground. Somewells are used
for monitoring water levels and also for sampling
water for chemical analyses.When awell is pumped, a
depression cone forms around the well as the water
level declines. Water level response can be quite
different depending on whether the pumping occurs
in a confined or in an unconfined aquifer. Under the
same pumping rate, a larger water level decline is
expected in a confined aquifer and a smaller decline in
unconfined aquifers. This is because less water is
available in confined aquifer storage, while uncon-
fined water may receive water from drainage of the
water table.

Surface Water Dynamics

Although small in volume in the global water distri-
bution, surface water has been the main water source
for our civilization. A stream is a body of water
flowing down-slope along a natural passage. A river is
a stream with a significant amount of flow. A stream
with no tributaries is designated as a first-order
stream; the confluence of two first-order streams is
the beginning of a second-order stream; two second-
order streams are the beginning of a third-order
stream, and this pattern can continue to form higher-
order streams. The branching patterns of stream
orders have been studied through a fractal approach
that provides a mathematical framework for treat-
ment of similar geometric characteristics over a range
of scales. Streams are vital geological agents that incise
valleys, transport tonnes of solid and dissolved mate-
rials to the sea, and reshape our landscape over time.
Stream behavior is affected by a variety of factors such
as the steepness of the stream, the cross-sectional area
of the stream, the velocity of water in the stream, and
sediment load. The Reynolds number, Re, is a
convenient parameter for describing the state of flow
as laminar or turbulent. The dimensionless Reynolds
number is defined as Re ¼ rUY=m, where r is the
density of water [ML� 3], U is the average flow
velocity [L t� 1], Y is the average flow depth [L], and m
is the dynamic viscosity of the fluid [ML�1 t� 1].
Laminar flow occurs when Re is less than 500.
Turbulent flow occurs when Re is greater than 2000
and circulating eddies form in turbulent regions.
Transitional flow lies between laminar and turbulent
flows. Actual stream flow is seldom laminar, but when
the degree of turbulence is small, flow is often
considered in the laminar range. The following math-
ematical formulation can then be used. The equation
ofmotion can be expressed as v ¼ Kchðdh=dlÞ, where v
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is the flow velocity [L t� 1], Kch is the flow channel
conductivity [L t� 1], and dh=dl is the head gradient,
the change in head hwith respect to change in distance
l. The head represents the energy of the system and the
gradient provides the driving force. The energy
includes gravitational, kinetic, and pressure compo-
nents. For turbulent flow, the flow dynamics is more
complex and nonlinear and the equation of motion
becomes v ¼ Kchðdh=dlÞ1=2.

Surface Water and Ground Water Interaction

In order to effectively manage water resources, we
must understand the interaction between surface
water and ground water. Conjunctive use of surface
and ground water has increasingly become common
practice in water management, particularly in arid
regions. The basic concept of conjunctive use is to
store water in aquifers under wet climate conditions
when streams flows are high and to withdraw water
from the aquifers under drier conditionswhendemand
is high but stream flows are low. The success of a
conjunctive-use project depends heavily on the dy-
namics of the interaction between the surface water
and the ground water. Streams can either gain water
fromor losewater to a groundwater system. In reality,
many streams do both at different locations and at
different times. The rate and direction of flow into or
out of the stream can also vary as the elevations of the
water table and stream surface fluctuate. Pumping of
groundwater can change the quantity and direction of
flow between an aquifer and a stream. As a result,
stream flow is reduced, which can be of particular
concern during droughts. Moreover, the interaction
between groundwater and surface water affects water
quality. When the ground water in shallow aquifers is
contaminated (for example, from agricultural prac-
tices of applying fertilizer and pesticides) the shallow
aquifers can contaminate surface water as the ground
water flows toward a stream. The opposite can also
occur when a stream is heavily contaminated (for
example, from mine waste drainage in mountainous
regions); and relatively clean ground water can dilute
the contaminant level as the ground water enters the
stream from the gaining sections of the contaminated
stream. Mixing of ground and surface water also has
an effect on other natural environments such as
wetlands and aquatic environments when acidity,
temperature, and dissolved oxygen are altered by the
interaction. Streamsmay become acidic as they receive
atmospheric deposition of chemicals, such as sulfate
and nitrate. Acidic precipitation directly affects the
well-being of aquatic ecosystems. However, signifi-
cant ground water flow into a stream may help

neutralize and reduce the stream’s acidity to tolerable
levels for aquatic organisms.

Applied Aspects of Hydrology

While the scientific aspect of hydrology seeks under-
standing of the role that water plays in natural
processes and mechanisms of water movement in the
Earth system, the applied aspect relates to using the
scientific knowledge to understand the impact and
consequences of improper water use, and to better
protect water resources. Although only two areas are
discussed below, applied hydrology impacts on our
society and environment far beyond what is included
in this section.

Water Contamination

Water contamination has increasingly become a con-
cern in modern times. Application of pesticides and
fertilizer in agricultural practices can result in areal
contamination as excess irrigation water percolates
through soils and carries the chemicals into the ground
water systems. Contamination sources that spread
over large areas are known as nonpoint sources;
sources confined to small areas are called point
sources. Multiple closely spaced point sources can
form a nonpoint source. Landfills are major point
sources of water contamination. Aging and leaking
liners around landfills allow leachate, a mixture of
water and dissolved chemicals, to leak into water
systems. Wastes from mines and nuclear facilities and
petroleum spills have all contributed to the contam-
ination of streams and ground water, thus degrading
water quality. While it is necessary to identify sources
of contamination, understanding the contaminant
transport is equally important so that the future
behavior of contaminant plumes can be predicted
and effective remediation procedures can be designed.
Three major mechanisms control the transport of
contaminants in water: dispersion, advection, and
retardation. Dispersion involves the dissolved con-
taminants diffusing into andmixingwith cleanwaters.
Advection – the transport of contaminants by moving
water – is often the dominant mechanism once the
contaminants make their way into permeable rocks.
While dispersion and advection are the physical
aspects of transport, retardation takes into consider-
ation of the chemical reactions occurring between the
contaminant and the media during its migration.
Slowdown of the advancing plume can be caused
by various chemical reactions such as sorption,
precipitation, oxidation, ion exchange, or biological
activities.
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Land Subsidence

Extraction of ground water plays a direct role in land
subsidence. Uneven subsidence of the historic tower of
Pisa in Italy has created a tourist attraction. However,
in many cities and towns subsidence has been a
problemwhen building foundations and road surfaces
become cracked and tilted as the ground subsides.
When a large amount of water is withdrawn from the
ground, void spaces in rock or soil collapse, the soil is
compacted, and the ground subsides. The Santa Clara
Valley and nearby San Joaquin Valley in northern
California have experienced regional subsidence due
to excessive ground water pumpage to sustain pro-
ductive agriculture. As Las Vegas Valley turns into a
fast-growing metropolitan area, ground water is
rapidly being depleted and this area has also suffered
problems with land subsidence and ground fissures
due to horizontal movement. Subsidence may also
occur from drainage of soils that are rich in organic
carbon as microbial decomposition converts organic
carbon to carbon dioxide gas andwater. Subsidence at
the rate of 20–80mm per year has been observed as a
result of the decomposition of the remains of shallow-
water sedges and reeds in California’s Sacramento–
San Joaquin Delta and in Florida’s Everglades. More
catastrophic subsidence takes place with the forma-
tion of sinkholes associated with localized collapse of
subsurface cavities. Often triggered by a decline in the
ground water level, sinkholes typically form in areas
underlain by carbonates (e.g., limestone and dolo-
mites) and evaporites containing easily dissolved
minerals such as salt, gypsum, and anhydrite.

Role of Ground Water in Geological
Processes

Water exists in pore spaces in soil and rock from near
the surface to a depth ofmore than 10 km.The amount
of pore water decreases with depth in response to a
general decrease of rock porosity with depth. Ground
water plays an essential role inmineral dissolution and
precipitation, and thus impacts metamorphic process-
es by altering the mineral compositions of rocks. As
water flows through deep sections of the crust or
passes through thermally active regions, such as in the
vicinity of cooling igneous rocks solidifying from
magma, the heated waters become hydrothermal
waters. Hot springs emerge at the locations of hydro-
thermal water discharge. Ground water carries dis-
solved minerals and transports them to ore-forming
locations. Petroleum is matured, in natural gas or
crude oil states, at a greater depth of burial. Ground
water may then transport petroleum to shallow

locations, a process known in petroleum system
studies as secondary migration. The mechanical inter-
actionbetweengroundwater and rockdeformationhas
been thought to contribute to the triggering of earth-
quakes. As pore pressures in faults and the surrounding
area increase, faults become lubricated and the fault is
weakened, setting the stage for an earthquake. The
best-known example is that of the documented earth-
quakes between 1962 and 1972 in the Denver area
when liquid waste was injected underground into
fractured granites a few kilometers deep. The time
and frequency of the earthquakes were correlated
strongly with the time and volume of waste injection.

See also

Agricultural Meteorology and Climatology. Climate:
Overview. Hydrology: Modeling and Prediction; Over-
view. Palmer Drought Index.
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Introduction

Hydrological models have become an indispensable
tool for study of hydrological processes and the impact
of modern anthropogenic factors on the hydrological
system.Mathematicalmodels that are governed by the
laws for conservations of mass and momentum are
used to describe the temporal and spatial variation of a
hydrological system in the field on the basis of
information concerning climate, land use and land
cover, and hydrology. Modeling the hydrological
response to various natural and anthropogenic forc-
ings has the potential to contribute to the understand-
ing of these physical processes, such as flow and
transport in the surface and subsurface and the
atmosphere–land surface interaction.

Two types of hydrological models have been used in
most applications: lumped conceptual models and
physically based models. A lumped model is generally
applied in a single point or a region for the simulation
of various hydrological processes. The parameters
used in the lumpedmodel represent spatially averaged
characteristics in a hydrological system and are often
unable to be directly compared with field measure-
ments. In general, lumped models use simple book-
keeping procedures to quantify physical processes by
simulating the temporal variation of various physical
processes in a hydrological system. The advantage of
these models over physically based models is that the
conceptual parameterization in the models is simple
and computation is efficient. With the availability of
spatially distributed digital and remotely sensed data
sets of features such as precipitation, elevation, veg-
etation, etc., many distributed lumped models have
been developed in recent years. These kinds of models
have been widely used in most climate and meteoro-
logical studies to model hydrological processes.

Many physically based distributed-parameter mod-
els have been developed to facilitate various hydro-
logical and climatic applications over recent years.
These models represent hydrological processes in a
physically rigorous manner because they use process-
based partial differential equations (PDEs) to describe
the spatial variability of hydrological processes.
Within the framework provided by these equations,
it is possible to estimate governing parameters through
field studies. One disadvantage of such models is that

the representation of physical processes in these
models is often too crude and the scales of measure-
ment for many hydrological parameters are incom-
patiblewith the scales used in themodels. Studies have
indicated that the uniform effective parameters (e.g.,
saturated hydraulic conductivity) cannot represent the
ensemble heterogeneity, resulting in a significant
underestimation of hydrological variables (e.g.,
streamflow). These physically based distributed mod-
els can be referred to as conceptual lumped models in
some sense. The physically based models are more
complex and require more computing time for solving
PDEs numerically and considerable effort tomaster all
their intricacies, such as model calibration. For sim-
ulating the hydrological response (e.g., soil moisture)
to climate forcing (e.g., storms and human-induced
global warming), these models currently offer no
advantage over the traditional conceptual lumped
water-balance models.

Physically based hydrological models are an impor-
tant evolutionary step in representing hydrological
processes and spatially distributed data. At present,
the ability to represent spatially varying processes is
outstripping our ability to collect various data sets.
The need for the research on the better representation
of physical processes in space and time is evident given
the availability of digital products (e.g., distributions
of elevation, soil, vegetation) and remotely sensed data
(e.g., soil moisture, vegetation), along with new
technologies for measuring temporal and spatial
variability in precipitation.

Research on data assimilation and analysis, sub-
grid-scale variability in precipitation and hydraulic
parameters, sub-grid-scale model calibration, predic-
tion uncertainty analysis, and inclusion of fine-reso-
lution surface and subsurface hydrology in various
hydrological and climatic models is being conducted
in various research institutes to facilitate an interactive
link between the hydrology and atmosphere. Simula-
tion and prediction of various hydrological systems
are among the principal areas of study in the current
fields of hydrology and climate.

Hydrological Simulation in
Meteorological and Climatic Models

Climate variability has substantial impact on hydro-
logical, biological, and ecological systems such as
water availability and quality, floods, and droughts.
The effects of climate variability on economic vitality
and the quality of life (e.g., the 1988 North American
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drought and the 1993 Mississippi flood) indicate that
future climate change will be of considerable global,
national, and regional importance. The current em-
phasis on the climate impact analysis and hydrological
modeling requires improved specifications of the
interactions between the atmosphere and hydro-
sphere. The difficulty in reconciling the discordant
scales in climate change and hydrological research
hampers understanding of how regional hydrological
systems respond to climate forcing. Part of the
difficulty can be attributed to insufficient progress on
the theoretical side, related to deficiencies in our
abilities to couple atmospheric and hydrological
processes that occur over spatial scales ranging from
microscopic to global (specifically ranging from 10�4

to 106m) and over time scales ranging from 10� 4 to
107 s. Various parameterization schemes have been
used to reconcile the discordant scales of hydrological
and atmospheric models. The approach involves
numerical modeling to bridge the gap in scale between
general circulation models (GCM) and hydrological
models by embedding a regional climate model
(RCM) within a GCM so that the natural variability
at the regional scale can be represented within the
system (Figure 1).

The nested climate models used for studying the
effect of climate change on the hydrological system
indicate that changes in the hydrological system
induced by a climatic change could lead to a further

change in climate, ecosystems, agriculture, and hy-
drology. Many comprehensive hydrological models
such as the Biosphere–Atmosphere Transfer Scheme
(BATS) have been developed to integrate hydrology
into climate system by coupling the physical processes
from different systems. Such an integrated hydrolog-
ical model system, including components from soil
hydrology, surfacewater hydrology, and groundwater
hydrology, is necessary to understand how perturbed
climate conditions can modify regional hydrological
systems and, in turn, how the modified hydrological
conditions can modify the climatic system.

Traditionally, most hydrological models have been
developed to simulate individual hydrological pro-
cesses such as rainfall–runoff partitioning, soil mois-
ture flow, overland flow, and groundwater flow, while
some comprehensive models are used to simulate all
the processes within the hydrological cycle. In general,
any use of hydrological models follows five main steps
(Figure 2). After the purpose of hydrological modeling
is established, the conceptual model can then be
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constructed to describe the hydrological system that
needs to be simulated. In the second step, the various
mathematical models can be used to describe individ-
ual processes within the hydrological system and
computer codes in various computer languages (e.g.,
C, Fortran) can be developed to solve the PDEs in the
mathematical models. In general, the numerical solu-
tion of the PDEs must be verified by comparison with
known or analytic solutions. The second step can also
be completed by selecting existing computer codes
that have been verified in previous applications. The
third step, data preparation, is to compile and analyze
availablemeteorological and hydrological data for the
hydrological simulation. Additional data can be
obtained through laboratory studies and field work.
After all the necessary data have been integrated into
the models, the models should be calibrated to
available field-observed data (i.e., streamflow, ground
water level). The calibratedmodels can then be used to
predict the hydrological response to various external
forcings (e.g., future water usage, land use–land cover
change, and climate change).

Conceptualization, Mathematical
Models, and Model Development

There are many surface and subsurface hydrological
processes in the hydrological system (Figure 1). Many
conceptual and mathematical models have been
developed to describe these physical processes in
time and space and various numerical schemes are
available to solve various equations for the simulation
of hydrological variables. The following sections
describe some of major flow processes such as soil
water flow, overland flow, and ground water flow,
while other processes such as sediment and contam-
inant transport will not be described here.

When the precipitation reaches the ground, it
partitions into components of surface runoff and
infiltration. After the water enters the soil column, the
soil water flow in the unsaturated zone can be
described by the following form of the Richards
equation (eqn [1]).

� qqðz; tÞ
qz

¼ q
qz

Kðz; tÞ qcðz; tÞ
qy

qyðz; tÞ
qz

� �

þ qKðz; tÞ
qy

qyðz; tÞ
qz

½1�

In eqn [1], where q is the vertical moisture flux; y is
the volumetric water content; z is depth, t is time; K is
the unsaturated hydraulic conductivity; and c is the
hydraulic potential. The Richards equation can be
solved numerically using the Crank–Nicholson

numerical scheme and a finite difference scheme of
forward in time and backward in space, or other
numerical methods. Various schemes are available for
relating K and c to the volumetric water content
because the K at a given time is a function of constant
saturated hydraulic conductivity and soil moisture
status. Infiltration and evaporation can be treated as a
source or a sink, respectively, in the Richards equation
or the upper boundary condition of the soil profile.
The calculation of evaporation on the bare soil and
evapotranspiration on the vegetation canopy can be
completed with various methods (e.g., the Penman–
Monteith method).

The overland flow will form soon after the rainfall–
runoff partitioning and can be formulated as a
kinematic wave with a flow-direction algorithm to
account for the overland-flow delay and storage in
each grid cell. Mathematically, one-dimensional over-
land flow may be described by eqn [2],

qd
qt

þ qq
qx

¼ ie; q ¼ adm ½2�

whered ¼ dðx;tÞ is the depth of overlandflow,q ¼ qðx;tÞ
is the rate of overland flow, ie is the excess rainfall rate,
a is conveyance, and m is surface roughness. The
overland flow is discretized into a large number of
smaller segments to solve the kinematic-wave flowand
the equation can be solved numerically for the one-
dimensional flow. In general, a conservative numerical
scheme is implemented in the model to maintain the
numerical stability in some extreme cases.

The overland flow quickly reaches nearby streams
to form channel flow. The channel flow can be
simulated hydraulically and hydrologically. TheMus-
kingum–Cunge method or other channel routing
schemes can be used for channel-flow routing through
the channel networks, which are derived from digital
elevation models (DEMs). For instance, the extended
finite difference form of the governing equation can be
written in the Muskingum channel routing method as
eqn [3], whereQx is the inflow to a given stream reach,
Qxþ1 is the outflow from a given stream reach, k is a
travel time parameter, and e is a weighting factor.

k
d

dt
½eQx þ ð1� eQÞxþ1� ¼ Qx �Qxþ1 ½3�

The routing equations are produced using a finite
difference form of the above equation. The outflow of
a stream reach is calculated at each time step and
routed to downstream reach along DEM-derived
channel network, eventually to the basin outlet.

The second-order PDE of eqn [4] is used to describe
ground water flow in an aquifer, where T is
transmissivity, h is hydraulic head, S is storativity, t is
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time, and Qnet is net ground water withdrawal rate.

q
qx

T
qh
qx

� �
þ q
qy

T
qh
qy

� �
¼ S

qh
qt

þQnet ½4�

Qnet includes ground water recharge from infiltration,
evaporation of shallow ground water, withdrawal of
ground water from wells, and other sources or sinks,
such as induced infiltration of ground water from the
stream network.

In general, the simulation domain for a basin is
discretized into a set of rectangular cells with dimen-
sions Dz, Dx, and Dy. Dz is the vertical thickness of the
aquifer, andDx andDy are the cell dimensions in the x-
and y-coordinate directions (Figure 1). A finite differ-
ence or finite element scheme can be used to discretize
the hydrological system.Many iterative methods such
as the method in MODFLOW (developed by US
Geological Survey) are available for obtaining solu-
tions for the above PDE.

The interaction between a stream system and
ground water can be simulated with Darcy’s law.
The calculated inflow/outflow is a function of the
hydraulic head difference between the ground water
and the river stage at a given stream reach. When the
groundwater level is lower than the stream bed, water
flows from the stream to the ground water. When the
ground water level is lower than the stream bed, the
stream will dry out and eventually there will be no
channel–ground water interaction.

After the implementation of numerical schemes for
solving various PDEs in the hydrological system, the
developed model codes need to be tested against
known and analytic solutions before they can be used
for modeling applications. For specific applications,
the simulation domain must be set up with defined
boundary conditions, so that the given forcings (i.e.,
meteorological data and water usage) can be used to
drive the simulation of various hydrological processes.

Data Preparation

Data preparation is a major fundamental part of
hydrological modeling. The work involves compiling
various available field and digital data sets and
processing and integrating these data sets into models
for hydrological simulations. Sources of data can be
fromvarious government agencies and institutes.With
the availability of new technology, ground-based and
remotely sensed data sets as well as data collected
through traditional field methods have been used for
hydrological modeling.

For topography-based hydrological models, digital
elevation models (DEMs) are routinely used to
describe the land-surface topography, which contains

crucial information for the surface water flow and the
interaction of surface water and ground water. After
DEMs have been conditioned to remove spurious
sinks andpeaks, they can be used to determine the flow
direction of surface water at a grid cell by comparing
the elevation at a grid cell to the elevations of
neighboring grid cells within the simulation domain,
assuming that thewater always flows fromhigh to low.
With DEMs, a flow accumulation data set can be
obtained in which the contributing area that drains to
a grid cell is determined for each grid cell. The DEMs
and derived data sets of flow direction and flow
accumulation can then be processed to delineate
drainage and stream networks, overland flow paths,
watershed and subwatershed boundaries, and other
features. Derived stream networks facilitate the chan-
nel–shallow ground water interaction, while the
derived overland flow paths provide accurate predic-
tion of the rainfall–runoff partitioning and soil mois-
ture status over overland flow paths.

Simulations of various hydrological processes re-
quire spatially distributed information on land use and
land cover, soil type, and hydraulic properties in
addition to the topography.Many digital soil data sets
are available from various sources. For instance, the
Natural Resources Conservation Service (NRCS) of
the US Department of Agriculture compiled the State
Soil Geographic (STATSGO) soils data. In general,
these digital data sets are stored in a Geographical
Information System (GIS) format. The hydraulic
parameters (i.e., the average saturated hydraulic
conductivity and the average capillary suction) data
sets can be derived by assigning a value for each grid
cell based on various parameterization schemes of
hydraulic variables and the soil texture from
STATSGO soil data. These derived data sets of various
hydraulic parameters can then be integrated into
models for the hydrological simulation.

With the development of remote sensing and satel-
lite technology, these data sets hold great potential for
practical application to regional ecology, hydrology,
and planning. The satellite data can be used to derive a
variety of surface parameters, such as radiant surface
temperature and vegetation fraction; these variables
can be used for both spatial and temporal compari-
sons, and for regional hydrological modeling of
important hydrological processes. The remotely
sensed data such as vegetation classification can be
obtained from the AVHRR (Advanced Very High
Resolution Radiometer) and Landsat TM images.
Spatially distributed data of meteorological variables
(e.g., precipitation, temperature, wind speed) are
available from NEXRAD (Next Generation Weather
Radar), radar and satellite images at a time resolution
fromminutes to days.With the improved resolution of

HYDROLOGY /Modeling and Prediction 983



these data sets, more accurate simulation of various
hydrological processes is expected in both temporal
and spatial scales.

Different types of field-observed data are available
for hydrological simulation andmodel calibration and
will be discussed in the next section. There are
networks of rain gauges across the world. At outlets
of many river systems, gauge stations are available to
measure daily streamflow rates and other hydrological
variables. Ground water levels are also available from
many wells and many other data such as evapotran-
spiration and moisture content are obtainable from
local specific regions. For instance, the US Geological
Survey (USGS) provides infrastructure for monitoring
stations and collecting measured data of streamflow
and ground water levels while the National Oceanic
and Atmospheric Administration (NOAA) maintains
the collection of meteorological data.

Model Calibration

Complexity in hydrological modeling over large space
and long times has prompted a significant need for
model calibration. Model calibration is a demonstra-
tion that the model is capable of reproducing field-
observed values of various hydrological variables
(e.g., streamflow, soil moisture, and well observed
ground water level) (Figure 3). Prediction of various
hydrological variables on the basis of an uncalibrated
flow model are sterile and indefensible. Generally, the
goodness-of-fit between simulated and measured var-
iables on the basis of the initial values of hydrological
and hydraulic parameters used in the model is not
satisfactory. The goodness-of-fit can be improved by

adjustment of the values of these parameters until the
difference between simulated and measured variables
is satisfactory during the model calibration. The
adjustment process is most commonly based on trial-
and-error changes in a parameter while other param-
eter values are held constant. Some numerical models
are nowequippedwith a semiautomatedor automated
procedure. The range of adjustment to values of
hydrological and hydraulic parameters must be con-
strained by plausible site-specific field data such
as streamflow, water levels, hydraulic conductivity,
etc. The difficulty in achieving a good calibration is
that boundary conditions and values of hydrological
and hydraulic parameters are always subject to
uncertainty.

Goodness-of-fit calibration can be evaluated
through visual comparison and statistical measures.
Visual comparison includes scatterplots of simulated
versus measured variables, simulated and field-based
temporal and spatial distribution, and spatial distri-
bution of residuals. Statistical measures consist of
mean error, absolute mean error, and root mean
squared error between simulated and observed
variables.

The trial-and-error calibration involves manually
adjusting parameters to match the simulated results
(e.g., streamflow and groundwater level hydrographs)
with field-observed historical records. The fit between
simulation and observation can be evaluated visually
and statistically after each simulation with changed
parameters. Knowledgeable modelers can conduct
acceptable model calibration using this approach. On
the other hand, the calibration process can be a
very frustrating and time-consuming practice for
many untrained modelers and sometimes even for
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Figure 3 The procedure of model calibration. (Reproduced from Freeze and Cherry (1979).)
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experienced modelers when many parameters are
changed simultaneously. The disadvantage of such
approach is the low efficiency and the lack of standard
measures in evaluating the performance of model
calibration.

While the trial-and-error calibration is still the most
common method for calibrating models of all kinds,
many automatic or semiautomatic direct or indirect
techniques are available for solving an inverse prob-
lem in various hydrological systems. Automatic direct
or indirect model calibrations require the setting up of
objective functions, development of optimization
algorithms, setting up of termination criteria, and of
course, using observed data as calibration targets. The
direct approaches use an inverse operator to solve the
problemsdirectly,while the indirect approaches use an
iterative scheme. For the indirect approaches, various
sampling procedure schemes (e.g., Monte Carlo and
Latin Hypercube samplings) are available for sam-
pling that cover the range of adjustable variables
systematically. In effect, the simulation problem is
solved many times over with coverage of the potential
solution space. Ultimately, the process finds the
optimum solution, providing a set of parameters that
yield the best fit between the observed data and
simulated results.

For any model calibration, objective functions need
to be set up for variables (e.g., streamflow, ground
water level) that will be optimized during the calibra-
tion process. The least-squares method, a common
method in the model calibration, is equivalent to the
minimization of the sum of squares of the resi-
duals (also called objective function or fitness meas-
ure). The general form for a steady state is given by
eqn [5],

Obj ¼
Xn
i¼1

wi½soi � sci �2 ½5�

where wi is a weighting factor, soi is the observed
data, sci is a simulated result, i is the index for
location points, and n is the number of location
points.

The weighting factor represents the propor-
tional importance allocated to a variable at particular
locations. If the sum of all weighting factors is 1.0,
eqn [5] becomes the simple least-squares function.
It is feasible to zone spatially for both steady state
and transient state, although execution times will
increase significantly, especially for the transient
state, as the degrees of freedom in parameter values
increase.

The objective function can be constructed for
hydrological variables that can be used as calibration
targets (e.g., streamflow and ground water level).

Objective functions, based on a weighted least-square
error criterion, can then be used to drive the calibra-
tion process.Different combinations of various chang-
es in different optimizing parameters are selected for
each simulation run. The objective is to minimize the
difference between measured data and simulated
results. The objective function for a transient simula-
tion can also be formed as eqn [6], where m is the
number of time steps, j is the index for time steps, and
other variables are as defined previously.

Obj ¼
Xm
j¼1

Xn
i¼1

wi; j½soi; j � sci; j�2 ½6�

The transient calibration requires much more com-
putational time than the steady-state calibration as a
result of the additional time dimension. There are
other alternatives to the least-squares method for
objective functions, such as the maximum likelihood
approach.

The direct approaches use an inverse operator to
solve the problems directly. Let ho be the observed
hydrological variables and hc be the simulated
hydrological variables. Then, according to a Taylor’s
series expansion, the equation can be written as
eqn [7].

Xm
j¼1

qhci
qpj

dpj ¼ hoi ðpþ dpÞ � hci ðpÞ; i ¼ 1; . . . ; n ½7�

In matrix form, eqn [7] is written as eqn [8],

J dp ¼ r ½8�
where J is a rectangular Jacobian matrix, p is the
parameter vector to be inverted, dp is the parameter
correction vector, and r is the residual vector between
the measured and simulated hydraulic heads. In order
to solve the equation, both sides of the equation are
multiplied by the transpose of matrix J. The result is a
system of equations with m unknowns. There is a
problem because the solution of the matrix system is
unstable. Marquardt’s approach, which involves add-
ing terms to the diagonals of the matrix JTJ, can
overcome this problem. The Levenberg–Marquardt
method or Marquardt method (iterative procedures)
can be used to solve this system.

After the model calibration, a sensitivity analysis is
needed to investigate the uncertainty in the calibrated
model caused by the uncertainty in the estimation of
various parameters. The sensitivity analysis can be
conducted by evaluating the hydrological flow system
in response to various parameter disturbances based
on the calibrated hydraulic parameters. The analysis
involves perturbing the values of the hydraulic
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parameters with respect to the best estimates and
examining how the simulated hydrological variables
change. The common approach is to evaluate one
parameter at a time; all other parameters are kept
constant while a given parameter is being evaluated.
Then various parameters are varied simultaneously to
examine the behavior of the hydrological flow system
under different situations. In this way, the nonunique-
ness of solutions of the parameter estimations for the
hydrological flow system can be evaluated and other
issues along with the model uncertainty can be
assessed.

Prediction

With the set of optimized hydraulic parameters from
the model calibration, the calibrated model can be
used to conduct predictive simulations. The predictive
simulations can be driven by external forcings (e.g.,
climate change scenarios) to derive the system re-
sponse to future events. Some climate and hydrology
problems require the hydrological modeling to predict
the system response for as many as thousands of years.
For instance, the risk assessment of contaminant
transport in the storage of low-level nuclear wastes
in arid regions requires prediction of the water flow
in the unsaturated and saturated zones for 10 000
years.

How good predictions are depends on how
well the model is calibrated and how credible
are future external forcings that are used to drive
predictive simulations. Because of the nonlinearity of
natural hydrological systems and simplified model
structures as compared to the actual complex
natural physical processes, the calibration process
cannot guarantee that the global minimum can be
found, and so the calibrated model could produce
unrealistic results beyond the confident period. In
general, the calibrated model should not be
used to predict the system in the future longer
than twice the period of model calibration with
available field-observed data. In some cases, owing
to the lack of available long-period historical data
for model calibration and the nature of some
applications that require an extended period of
prediction, there will always be uncertainty in predic-
tive simulations. For this reason, users must conduct a
detailed assessment of the uncertainty of any future
prediction of system response as well as the uncer-
tainty associated with model calibration and future
external forcings.

The hydrological cycle plays an important role in
the climate system. The two-way interaction between
hydrology and climate is a crucial element in our

current and future modeling of hydrology and climate
for an understanding of how perturbed climate con-
ditions can modify regional hydrological systems and,
in turn, how the modified hydrological conditions can
influence the climatic system. Data assimilation and
analysis of remotely sensed and satellite-derived
information should be integrated into hydrological
models to better represent sub-grid-scale spatial and
temporal variability in meteorological and hydrolog-
ical parameters. Model calibration and sub-grid-
scale model calibration remain important steps in the
better simulation of various hydrological compo-
nents. In addition, prediction uncertainty analysis and
inclusion of fine-resolution surface and subsurface
hydrology are important concerns in such an interac-
tive link.

Glossary

Calibration The process for selecting proper param-
eters for model simulation.

Conceptualization A pictural representation of a
hydrological flow system.

Darcy’s law Darcy’s law states that the discharge
flowing throughaporousmedium is proportional to
the hydraulic gradient.

DEM Digital elevation model. DEMs contain
elevation data for describing the topography of a
region.

Evapotranspiration The processes that return water
vapor to the atmosphere directly from the soil and
by the action of plants.

Ground water Water found in the saturated zone of
the soil and bedrock.

Hydraulic conductivity The ability of a porous medi-
um to transmit fluid.

Hydrological cycle The global-scale process that cir-
culates water between the atmosphere, continents,
and oceans.

Hydrology The study of the occurrence and move-
ment of surface and subsurface water.

Infiltration The movement of water (e.g., precipita-
tion, melting snow) into the soil at the land
surface.

Model Any device that represents an approximation
of a field situation.

Muskingum A method for routing streamflow from
upstream to downstream.

Numerical method A method for solving partial
differential equations by transforming them into a
set of algebraic equations that can be solved with a
computer.

Overland flow The water flowing on the surfaces of
hillslopes after rainfall.
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Prediction The simulation for speculating the re-
sponse of a system to potential changes in the
system.

Richards equation An expression of mass conserva-
tion incorporating Darcy’s law in the unsaturated
zone.

Runoff Excess precipitationwater on the surface after
rainfall.

Saturated zone A subsurface region where pores are
completely filled with water.

Sensitivity analysis A process for identifying the
sensitivity of the model response to changes in input
parameters.

Simulation Use of computer codes to model field-
observed physical processes.

Soil moisture Water held in soils and rocks in the
weathered unsaturated zone.

See also

Agricultural Meteorology and Climatology. Climate:
Overview. Flooding.General Circulation:Models.Glo-
bal Change: Human Impact of Climate Change. Hydro-
logy:Ground and SurfaceWater; Overview; Soil Moisture.
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cal Models: Methods. Weather Prediction: Regional
Prediction Models.
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Introduction

Soil moisture is the amount of water in the active layer
of the soil, typically the top 1–2m. It is extremely
important because it is the main source of water for
agriculture and natural vegetation. Near-surface soil
moisture also controls the partitioning of available
energy at the surface into sensible and latent heat
exchange with the atmosphere, thus linking the water
and energy balances through the moisture and tem-
perature states of the soil. Soilmoisture is the source of
water that evaporates and transpires from the soil and
vegetation into the atmosphere, thus affecting the
distribution of clouds and precipitation. Surface tem-
perature is controlled by soil moisture, as a wetter
surface will be cooler, with more of the available
energy going into evapotranspiration (evaporation
and transpiration) rather than heating the surface. Soil
moisture also affects runoff, determining how much

precipitation or snowmelt goes immediately into
rivers and streams, or in extreme cases into flooding.
Adeficit of soilmoisture is often connected to drought,
and soil moisture interactions with the atmosphere
may be important in maintaining droughts. Soil
moisture, along with snow cover, are also the most
important components of meteorological memory for
the climate system over the land. Thus, the soil
moisture state is an important predictor of monthly
to seasonal climate variations.

Soil moisture is measured in a variety of ways, from
the simple gravimetric technique to more complex
electronic instruments. For the top 1m soil layers, the
temporal scale of soil moisture variation in the
Northern Hemisphere midlatitudes is 1.5 to 2 months
and the spatial scale about 500 km. Despite
the importance of soil moisture, parameterization
schemes used in weather forecast and climate simula-
tion models, in general, do not capture the observed
soil moisture variations when forced with either
model-generated or observed meteorology. During
the twenty-first century, a significant vulnerability for
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ICE AGES (MILANKOVITCH THEORY)
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Introduction

An astronomical theory of paleoclimate aims to
provide an understanding of the relationship between
insolation and climate on the global scale. One such
theory was developed by Milankovitch who first
computed the radiation received by the Earth from
the Sun (insolation). This quantity undergoes diurnal,
seasonal, as well as millennial scale (long-term)
variations. Milankovitch argued that insolation
changes induce surface temperature changes and that
long-term insolation changes are sufficient to produce
ice ages by changing the geographic and seasonal
distribution of sunlight received by the Earth. He
estimated the relationship between summer radiation
and the altitude of the snowline, which allowed him
to compute the latitude of the ice sheet margin for the
last 650 000 years. Milankovitch’s curves were found
to be remarkably consistent with the reconstruction of
the glacial period made by Penck and Brückner.
However, Milankovitch theory is not the only astro-
nomical theory of paleoclimate. For example, in the
nineteenth century, Croll developed an astronomical
theory of paleoclimate, which was later rejected
because it did not fit with the evidence of that time.
Today astronomical theories are still a focus of
research. Sophisticated climate models are used to
test how insolation, and in particular its distribution in

latitude through the year, is forcing climate. Fourmain
steps can be identified in an astronomical theory
(Figure 1):

� the theoretical computation of the long-term vari-
ations of the Earth’s orbital parameters and related
insolations;

� the design of climate models to study climate
changes related to insolation changes;

� the collection of geological data and their interpre-
tation in terms of climate; and

� the comparison of these proxy data to the simulated
climatic variables.

Therefore astronomical theory is at a crossing point of
geology, astronomy, physics, chemistry, biology, and
geophysics. Moreover, it is related to processes of the
solid Earth, the atmosphere, the hydrosphere, and the
ocean.

The Ice Ages

Our planet Earth was born some 4.5 billion years ago.
Many events have marked its evolution; in particular,
some periods have experienced markedly colder
climate than others. Up to 0.9 billion years ago the
Earthwas apparentlymostly ice-free, despite low solar
luminosity, although there is some evidence for a first
glaciation approximately 2.5 billion years ago. At
least three major phases of glaciation occurred be-
tween 900 and 600million years ago. Glacial deposits
from the late Proterozoic have been found at low

...Orbital parameters

Insolation change
Geological data

Simulated

climate change

   Recorded 

climate changeComparison

Figure 1 Schematic outline of an astronomical theory of paleoclimate.
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latitudes, suggesting that at that time ice sheets
covered the Earth from pole to pole. This is the so-
called ‘snowball Earth’ hypothesis. The return to
warmer conditions would then have resulted from the
accumulation in the atmosphere of CO2 from volcanic
activity. The large cap carbonate found in Namibia,
for example, could be the witness of this time.
However, this hypothesis is still debated. From 600
to 100 million years ago mild climates prevailed,
punctuated by several major phases of ice growth.
These long geological cold periods, such as the late
Precambrian Ice Age, the late Ordovician-Silurian Ice
Age, and the Permo-Carboniferous Ice Age, are also
called Ice Ages. A gradual cooling and drying of the
globe started some 50million years ago. TheAntarctic
ice sheet started to grow some 40 million years ago,
whereas the Greenland and midlatitude ice sheets
formed later (4–2.4 million years ago). The Quater-
nary Ice Age, the cold period in which we are living, is
characterized by a succession of colder and warmer
periods, the glacial–interglacial cycles. During colder
phases (or ice ages) the ice sheets spread out in the high
latitudes. The purpose of astronomical theory is to
explain these broad climatic features, which charac-
terize not only the Quaternary, but also older periods
including the Early Mesozoic, more than 150 million
years ago.

A Brief History of the Astronomical
Theory of Paleoclimates

The inspiration for the pioneering work on the
astronomical theory of paleoclimate was probably
Louis Agassiz’s lecture about his theory of a Great Ice
Age at a meeting of the Swiss Society of Natural
Sciences, held in Neuchâtel in 1837. Only a few years
later, Joseph Adhémar proposed an explanation of the
existence of ice ages based on the precession of the
equinoxes. At the same time the French astronomer,
Urbain Leverrier, calculated the changes in the Earth’s
orbit over the last 100 000 years. James Croll would
eventually take Adhémar’s idea and put it into an
astronomical theory of climate. Croll’s major hypoth-
esis was that the critical season for producing an ice
age is winter. He determined that the precession of the
equinoxes must play a decisive role in the amount of
sunlight received during winter. Indeed, winter would
be warmer if it occurred when the Earth were closer to
the Sun and itwould be colder if the Earthwere farther
from the Sun. Moreover, the shape of the Earth’s orbit
could reinforce this effect. He concluded that periods
of greater eccentricity could lead to exceptionally
warm or cold winters. He argued that ice ages
therefore occurred alternately in one hemisphere or

the other during Glacial Epochs, when eccentricity is
large. According toCroll, the last Glacial Epoch began
some 250 000 years ago and ended about 80 000 years
ago. Later, he also took into account the role of the tilt
of the Earth’s axis of rotation.He hypothesized that an
ice agewould bemore likely to occur when the tilt was
small because the polar regionswould then receive less
heat. However, he acknowledged that orbital changes
could only be a triggering mechanism. He identified
the albedo–temperature feedback and the change in
ocean currents as two mechanisms responsible for
amplifying the direct climatic effect of the astronom-
ical forcing. Meanwhile, geologists collected evidence
around the world that several ice ages had occurred in
the past, separated by nonglacial epochs, as predicted
by Croll’s theory. However, with time the majority
of geologists in Europe and America became opposed
to Croll’s theory as more and more new evidence
suggested that the last Glacial Period ended later
than 15 000 years ago, instead of 80 000 years
ago as required by Croll’s astronomical theory. By
the end of the nineteenth century, the theory fell into
disfavor.

The attention of the scientific world was drawn
back to the ice age problem with the publication in
1924 of Milankovitch’s theory. This was the first full
astronomical theory of the Pleistocene ice ages,
including the computation of the orbitally induced
changes in the insolation and climate. According to
Milankovitch’s theory, the summer in northern high
latitudes had to be cold to prevent the winter snow
frommelting. In turn this would allow a positive value
in the annual budget of ice, and a positive feedback
cooling would be initiated over the Earth through a
further extension of the snow cover and subsequent
increase of surface albedo. This hypothesis requires
that summer insolation is a minimum in the high
latitudeNorthernHemisphere.One ofMilankovitch’s
first major contributions consisted of radiation curves
showing past insolation changes at high northern
latitudes (Figure 2). He claimed that eachminimum of
these curves should cause an ice age. Comparing
Milankovitch’s curves with the Penck and Brückner
curve for the succession of European ice ages, Köppen
and Wegener concluded that the theory matched the
facts amazingly well. Although the timing of the ice
ages and the radiation minima did not agree in detail,
the general pattern of the two curves was quite similar.
But by 1955, the astronomical theory was rejected by
geologists. Indeed, using new techniques for dating
Pleistocene fossils (radiocarbon dating) they showed
that there were more glacial advances during the past
80 000 years (or at least the time interval believed to be
80 000 years) than could be explained by the Milan-
kovitch theory.
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The theory was still largely disputed until the early
1970s. Nevertheless, progress was beingmade toward
a better understanding of the ice ages, in particular the
Pleistocene. New dating techniques were developed
and accurate climatic interpretation was given to
geological records, such as variation of the oxygen
isotope records of forams in deep sea cores, or
sequences of soils and loess. New evidence was put
forward that major climate changes have accompa-
nied variations in obliquity and precession over the
last 500 000 years. This finding stimulated the revival
of the astronomical theory. Vernekar, Bretagnon,
Berger, and others refined the calculations of orbital
history; geologists obtained new records of past
climate; the improved dating techniques clarified the
detail of theQuaternary time scale; global past climate
changes were reconstructed with better accuracy; and
finally, climate models were designed to test this
theory.Within a few years it became increasingly clear
that major changes in global climate were caused by
changes in the astronomically driven insolation forc-
ing. Moreover, the importance of mechanisms and
processes such as the carbon cycle, vegetation change,
ocean circulation, and dynamics of the cryospherewas
also acknowledged.

Orbital Parameters

The German astronomer Johannes Kepler (1571–
1630) formulated the three laws of planetary motion,
which are satisfiedwith ahigh accuracy not only by the
system of planets and Sun, but also by the system of
each set of satellites moving about their primary
planet. They are:

� The orbit of each planet is an ellipse with the Sun at
one focus.

� The line (the radius vector) joining the Sun to each
planet sweeps out equal areas of its ellipse in equal
times.

� The cubes of the semimajor axis of the planetary
orbits are proportional to the squares of the planets’
periods of revolution.

While Kepler gave a description of the orbital motion,
Sir Isaac Newton (1642–1727) defined the law of
gravitation, which is the basis for explaining
the planetary motion. In particular, during its
travel counterclockwise on its orbit around the Sun
(Figure 3), the Earth is sometimes nearer to and
sometimes farther away from the Sun. The distance
from the Earth to the Sun (r) can be computed through
the equation of the ellipse, given here as eqn [1].

r ¼ ½að1� e2Þ��ð1þ e cos vÞ�1 ½1�

In eqn [1], a, the semimajor axis of the orbit, gives its
size. The value of a is constant through geological time
to a very good accuracy. The eccentricity, e, is a
measure of the departure of the ellipse from a circle,
and the true anomaly, v, of theEarth is ameasure of the
position of the Earth in its orbit. The true anomaly is
measured counterclockwise from perihelion (where
the Earth is nearest to the Sun). Usually the angles that
describe the position of the Earth in its orbit are not
measured from the perihelion, but rather from the
spring equinox (SE). Therefore, we have v ¼ l� o,
where l is the longitude of the Earth in its orbit
measured from the spring equinox of the year, or
moving spring equinox, and o is the longitude of the
perihelion relative to this same moving spring equi-
nox. Alternatively, the position of the perihelion
(�oo) is often measured from the First Point of Aries
(vernal point). This point on the Earth’s orbit gives the
direction of the Sun as seen from theEarth at the spring
equinox. Consequently, we have v ¼ l� �oo� p. In
addition, the Earth’s axis of rotation is tilted with
respect to the orbital plane. The obliquity, e, is the
angle between the Earth’s axis of rotation and the
perpendicular to the orbital plane.

The astronomical parameters, e, e, and o, experi-
ence long-term variations. These variations can be
obtained by solving two sets of equations, one set for
themutual gravitational forces in the planetary system
and the other for the Sun–Earth–Moon system.

AE

�

SS

A

SE

WS
�

v

�

S
P

�

Figure 3 Elements of the Earth’s orbit around the Sun (S). Some

reference points are drawn on the orbit, i.e., the perihelion (P) and

the aphelion (A), the spring equinox (SE), the summer solstice

(SS), the autumn equinox (AE), and the winter solstice (WS). The

vernal point is given by g. l is the longitude of the Earth in its orbit

measured from the spring equinox of the year, or moving spring

equinox; o is the longitude of the perihelion relative to this same

moving spring equinox; and v is the true anomaly measured

counterclockwise from the perihelion.
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Different methods, from fully analytical to fully
numerical, were developed following the first calcula-
tions byLeverrier in the nineteenth century.Moreover,
the accuracy of these solutions has been greatly
improved. However, the orbital motion of the planets
in the solar system is chaotic, i.e., the solution is
strongly dependent on the initial conditions, which
limits the possibility of obtaining an accurate solution
for the astronomical parameters of the Earth over
more than 35–50 million years.

Figure 4 shows the long-term variations of the three
orbital parameters (e, e, e sin �oo) from 400 000 years
Before Present (400 ky BP) to 100 000 years After
Present (100 ky AP), a time slice over which the
solution is very accurate. The eccentricity of the orbit
varies between near circularity (e ¼ 0) and small
ellipticity (e ¼ 0:07). These variations are quasi-peri-
odic with a mean period of about 100 ky. However, a
longer period of about 400 ky can also be discerned. In
practice, the analytical solution for the eccentricity,
expressed in trigonometrical series, puts forwards
many terms having different periods. The major
periods in the development are 404, 95, 124, 99,
and 131 ky (in order of decreasing amplitude). The
obliquity (tilt of the Earth’s axis) varies between 221
and 251 with a very clear quasi-period of 41 ky. The

largest amplitude terms correspond to periods of 41
(by far the largest term), 54, and 39 ky. The variations
of the climatic precession (e sin �oo) reflect two oppos-
ing motions, i.e., the counterclockwise motion of the
perihelion along the ecliptic with a period of� 100 ky
and the clockwisemotion of the vernal point along the
ecliptic with a period of � 25 700 years. The two
effects taken together result in the climatic precession,
which corresponds to the slow shift of the seasons
about the Earth’s orbit relative to the perihelion. This
motion has a mean quasi-period of 21 ky, which is
derived from periods at 19 and 23 ky.

Insolation

The amount of solar radiation received at a mean
Earth–Sun distance, rm, by a surface perpendicular to
the incident radiation, is about 1370Wm� 2 (this is the
so-called total solar irradiance, S0).However, rm varies
over time according to the eccentricity. Therefore,
instead of S0, it is often preferred to use the related
quantity, S, defined at the constant distance a from
Sun. As the solar energy decreases according to the
square of the distance from the Sun, the amount of
solar radiation received by the Earth on a unit surface
perpendicular to the Sun’s rays at a distance r from the
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Sun is given by W ¼ Sða=rÞ2. Moreover, the incident
radiation is usually not perpendicular to the Earth’s
surface, but it is tilted according to the elevation of the
Sun above the horizon. The elevation angle at a given
point on the Earth is measured by the zenith distance,
z, which is the angular distance from the zenith (the
point vertically overhead) along the vertical circle
through the point. The instantaneous insolation (irra-
diance) received by a unit horizontal surface at a
particular time characterized by a zenith distance, z, is
given by eqn [2].

W ¼ Sða=rÞ2 cos z ½2�
Spherical trigonometry applied to the astronomical
coordinates on the celestial sphere for the Earth’s
orbital motion provides cos z (Figure 5), expressed as
eqn [3].

cos z ¼ sin f sin dþ cos f cos d cos H ½3�
Here f is the latitude on the Earth, d is the declination
(the angular distance from the Equator along the
meridian), and H is the hour angle (measured clock-
wise on the Equator from the meridian of the observer
to the meridian of the Sun). The declination depends
on the obliquity (e). It can be computed for any given

time in the year l using eqn [4].

sin d ¼ sin l sin e ½4�
This shows that the energy (irradiance) available at

any given latitudefon theEarth (on the assumption of
a perfectly transparent atmosphere) is a single-valued
function of the total solar irradiance, S, the semimajor
axis, a, of the Earth orbit about the Sun, its eccentricity
e, its obliquity e, and the longitude of the perihelion
measured from the moving spring equinox, o. There-
fore it appears that the irradiance varies only accord-
ing to three astronomical parameters, i.e., the
eccentricity (e), the climatic precession (e sin �oo) and
the obliquity (e). Moreover, climatic precession and
eccentricity on one side, and obliquity on the other
side, appear in two distinct factors in the formulation
for the irradiance. Each of these factors has a physical
meaning. The distance factor (r ¼ r=a) depends on the
precession and eccentricity, and the inclination factor
(cos z) is solely a function of the obliquity.

The daily irradiation is the irradiance integrated
over a whole day, either from sunrise to sunset or over
24 h, in case of no sunset. The 24 h mean irradiance
(Wd), i.e., the average daily irradiation over 24 h,
expressed in Wm� 2, is often preferred. The value of
Wd depends on the latitude.
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Figure 5 Position of a celestial body (the Sun for example) on the celestial sphere. The different variables are explained in the text.
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� For the latitudes where there is a daily sunrise and
sunset, i.e., jfj � p=2� jdj,Wd is expressed by eqn
[5],

Wd ¼ S=pr�2ðH0 sin f sin d

þ cos f cos d sin H0Þ ½5�
where H0, the absolute value of the hour angle at
sunrise and sunset, is given by eqn [6].

cos H0 ¼ � tanf tan d ½6�
� For the other latitudes, i.e., jfj > p=2� jdj:
Either it is the long polar night (H0 ¼ 0), i.e.,
fd � 0, in which case Wd is given by [7]

Wd ¼ 0 ½7�
Or it is the long polar day (H0 ¼ p), i.e., fd > 0, in
which case Wd is given by [8].

Wd ¼ Sr�2 sin f sin d ½8�
The daily irradiation varies through the year as well

as according to the latitude. Moreover, it also exhibits
long-period variations caused by the secular variations
in the elements of the Earth’s orbit and rotation.

Some features of the long-term variations in eccen-
tricity, obliquity, and climatic precession can be
discerned in the insolation variations. Low values of
the eccentricity are mirrored in the small amplitude of
the insolation change, such as for the recent past and
near future; conversely, large values of e induce large
amplitudes of the insolation change, for example, at
about 100 ky BP (Figure 2C). Solar radiation is mostly

affected by variations in precession, although the
obliquity plays a relatively more important role for
high latitudes, mainly in the winter hemisphere. The
variations in the obliquity are perceptible in the same
way in both hemispheres (Figure 6A), i.e., an increase
in the obliquity induces an increase in the insolation
during the local summer (March to September in the
Northern Hemisphere and September toMarch in the
Southern Hemisphere) and an insolation decrease
during local winter. Consequently the seasonal con-
trast in daily irradiation is reinforced. A change in the
climatic precession (Figure 6B) such that the June
summer solstice is moving from the perihelion to the
aphelion (i.e., close to the present-day situation)
induces a decrease of insolation over the whole Earth
(Northern and Southern Hemispheres) simultaneous-
ly over one half of the year (Northern Hemisphere
summer season and Southern Hemisphere winter
season, i.e., from March to September). Climatic
precession plays an opposite role in both hemispheres.
At present, perihelion occurs in early January. This
situation favors mild winters and cool summers in the
Northern Hemisphere, and cold winters and warm
summers in the Southern Hemisphere.

Comparison between changes in the orbital param-
eters and/or in the solar radiation received by the Earth
with geological reconstruction of past climate changes
is also used to provide a clock for dating the records. In
this case it is assumed that the quasi-periods observed
in the data are a direct response to the quasi-periodic
variations of the forcing. Consequently the astronom-
ical chronology is directly applied to the geological
data, possibly with a time lag.
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Paleoclimate Modeling

Climate models are simplifications of reality, designed
to describe the complexity of the interactions within
the climate system. These numerical climate models
can be used to test the astronomical theory of
paleoclimate, i.e., to study whether astronomically
induced changes in insolation are able to drive
the climate system into glacial–interglacial cycles
similar to these recorded in geological data. The
modeling effort has led to abetter understanding of the
physical mechanisms involved in the climate system
response to the astronomically forced changes in the
pattern of incoming solar radiation. Suchmechanisms
are related, in particular, to the ice sheets, the
lithosphere, the hydrological cycle, the cloud proper-
ties, the albedo temperature feedback, the land–sea ice
temperature gradient, the CO2 cycle, and the ocean
circulation. The different parts of the climate system,
i.e., the atmosphere, the hydrosphere, the cryosphere,
the biosphere, and the lithosphere, are becoming
convincingly modeled separately, and work is going
on towards the design of comprehensive coupled
models including several parts, if not all of them. A
hierarchy of models, climate models of different
complexities that differ in their degree of spatial and
temporal resolution, are used for paleoclimate
purposes.

General Circulation Models (GCMs) are primarily
used for simulating geographic features of paleocli-
mates. Their major limitation is their high computing
cost. For this reason they are used for simulations
covering a few thousand years at maximum. They
provide a ‘snapshot’ view of the climate in equilibrium
with the boundary conditions.

At the last interglacial, some 125 ky BP, modeling
experiments led to warmer conditions, especially in
the high latitudes, reduced sea-ice extent, enhanced
northern tropical monsoon and northward displace-
ment of the tundra and taiga biomes, in good agree-
ment with geological reconstruction. However, the
strong cooling induced by changes in the orbital
parameters at 115 ky BP are not sufficient to initiate
glaciation, at least if vegetation changes are not
properly taken into account. This clearly puts forward
the importance of the vegetation–albedo–temperature
feedback. Several GCMs have been used to simulate
the climate of the Last Glacial Maximum, some 20 ky
ago. Again, important processes at work at that time
were identified. They are related to the CO2 concen-
tration, sea ice, ocean temperature, and land albedo.
As part of the PaleoclimateModeling Intercomparison
Project (PMIP), several GCMs performed the same
simulation of the mid-Holocene climate (6 ky BP).
Some robust features have been identified, for instance

a northward shift of the main regions of monsoon
precipitation over Africa and India.

The conceptual models are simple models designed
to assess whether a climate process can explain
past climate changes. For example, the simple thresh-
old (or multistate) climate model due to Paillard
simulates ice volume increase as a function of a
smoothed truncation of the insolation. The
model distinguishes three distinct states (interglacial,
mild glacial, and full glacial) and the transition
between them occurs when insolation and ice volume
cross prescribed thresholds in insolation and ice
volume. This model reproduced reasonably well the
succession of glacial–interglacial cycles over the late
Pleistocene.

Models of intermediate complexity are the only
climate models to be able to simulate the time-
dependent behavior of the fully coupled climate
system over a time interval long enough to test the
astronomical theory of paleoclimate. Earth system
Models of Intermediate Complexity (EMICs) include
most of the processes described in comprehensive
models, in particular the slow-response climate vari-
ables such as ice volume, bedrock depression, deep-
ocean temperature, and atmospheric concentration of
greenhouse gases. They also simulate the interactions
between the different parts of the climate system.
Moreover, they are simple enough to allow for long-
term climate simulations (several glacial–interglacial
cycles).

The LLN 2D NH climate model (two-dimensional
climate model developed in Louvain-la-Neuve) is one
of these EMICs. Itwas designed in order to understand
the response of the climate system to astronomical
forcing. It links the atmosphere, the upper mixed layer
of the ocean, the sea ice, the continents, the ice sheets,
and their underlying lithosphere. It is forced by
computed insolation and reconstructed atmospheric
CO2 concentration. It considers only the Northern
Hemisphere (the Southern Hemisphere is not consid-
ered) and it has no explicit representation of the
thermohaline circulation. It has been able to simulate
many of the different situations that characterize the
last 3 million years: the entrance into glaciation
around 2.75My BP, the dominance of the obliquity
cycle during the late Pliocene–early Pleistocene, the
emergence of the 100 ky cycle around 900 ky BP, and
the glacial–interglacial cycles of the last 600 ky. The
climatic changes over the Northern Hemisphere, in
particular the continental ice volume, simulated by the
LLN 2D NH climate model during the last 400 ky
shows a broad good agreement with reconstruction
(Figure 7).

However, a major discrepancy in this model is the
too frequent melting of the ice sheets during the
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interglacial. The largest difference between the simu-
lated and the reconstructed Northern Hemisphere
continental ice volume appears between 180 and
150 ky BP. Moreover an unusual feature shows up
between 400 and 350 ky BP. This time interval is
characterized by a very long interglacial, which
does not seem to be recorded in data. This behavior
is possibly caused by the interplay between insolation
forcing and CO2 concentration forcing. This
model also confirms that the orbital forcing acts
as a pacemaker for the glacial–interglacial cycles
and that the climate response to orbital forcing is
amplified by CO2. Moreover, important processes in
climate change were identified, such as albedo–
temperature feedback,water vapor–temperature feed-
back, the snow aging process, and the isostatic
rebound.

New observation techniques, accurate dating meth-
ods, improved transfer functions, and comprehensive
climate models will lead to increasingly accurate
knowledge of the past evolution of the atmosphere
and the oceans, the waxing and waning of the ice
sheets, and the growth and retreat of the forests and
deserts.

See also

Carbon Dioxide. Climate Variability: Glacial, Intergla-
cial Variations. Energy Balance Model, Surface. Gen-
eral Circulation: Models. Glaciers. Numerical
Models:Methods.Paleoclimatology: IceCores;Varves.
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Introduction

Inertial instability is a fundamental, but infrequently
documented, hydrodynamic instability characterized
by strongly divergent anticyclonic flow. It is the
geophysical analog to the centrifugal (or Taylor–
Couette) instability in fluid dynamics examined by
Rayleigh and Taylor nearly a century ago. Bergen
School meteorologists seeking an explanation for
cyclogenesis pioneered inertial instability research in
the 1930s and 1940s. However, the triumph of
baroclinic instability theory and balanced dynamics
in the 1950s and 1960s sharply curtailed interest in
inertial instability.A revival of research during the past
two decades, particularly in middle-atmosphere and
mesoscale dynamics, has led to a growing appreciation
of the role of inertial instability in geophysical flows.
Today, inertial instability arises in a wide range of
subjects: the dynamics of mesoscale convection and
monsoons, wave generation and breaking in the
stratosphere and mesosphere, and the maintenance
of jets in planetary atmospheres and equatorial
oceanography. Below, we examine what inertial
instability looks like physically, how it is represented
mathematically, and how it is manifested geophysi-
cally. Those new to the subject may wish to begin with
the latter.

Physical Description

Centrifugal instability occurs in the Taylor–Couette
problem when the angular momentum of a fluid
contained between two rotating cylinders (Figure 1A)
decreases radially outward, violating Rayleigh’s sta-
bility criterion. Parcels then rearrange themselves to
achieve a stable radial profile of angular momentum.

Inertial instability is the geophysical equivalent of
centrifugal instability and occurs when angular
momentum decreases as one moves outward from
the axis of rotation of the flow. This can be visualized
on the global scale (Figure 1B) by imagining the
roles of the cylinders being played by latitude lines,
with the Equator serving as the inner cylinder. The
latitude atwhich angularmomentum is nondecreasing
outward from the rotation axis forms the outer
cylinder.

This analogy between centrifugal and inertial
instabilities is correct only if the rotation in the
Taylor–Couette apparatus is equated to the total
vertical rotation of the flow in the geophysical
case. In meteorological terminology, the rotation in
Figure 1B is the sum of the planetary and relative
vertical vorticities. From this viewpoint, inertial
instability should be expected where the relative
vorticity is opposite in sign to the planetary vorticity,
and at least equal inmagnitude to it. The threshold for
inertial instability – the latitude corresponding to the
outer cylinder inFigure 1B – is thus the location of zero
absolute vorticity. With some restrictions, this is
proved mathematically in the next section.

Inertial instability, like centrifugal instability, leads
to roll-like vortical motions. The flattened, ‘pancake’-
like divergent circulations of inertial instability
(Figure 2) attempt to reduce the anticyclonic local
rotation via momentum transports so that the total
rotation is the same sign throughout the domain.

An inertially unstable flow can exist on a variety of
scales. As illustrated in Figures 1 and 2, the flow can be
as large as a zonally symmetric latitudinal ring of air
around the Earth. It can also occur on scales as small as
amesoscale vortex.When viewed from the perspective
of a circular vortex, this instability is triggered when a
very strong outward pressure gradient force and the
centrifugal force combine to overwhelm the Coriolis
force and lead to the breakdown of balance.
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In layman’s terms, the salient point of inertial
instability research is that a planet’s rotation sets a
local rotational ‘speed limit’ beyond which violations
are corrected via inertial instability. This ‘speed limit’
can be indirectly inferred from weather charts in a
number of ways: for example, the strong tendency for
nonnegative absolute vorticity in the Northern Hemi-
sphere, and also the complete absence of intense
‘bull’s-eye’ high-pressure centers analogous to ‘bomb’
cyclones.

Inertial instability depends on planetary rotation
and the horizontal shear and/or curvature of the
horizontal wind. In this sense, it shares an affinitywith
barotropic instability. However, the rapid, strongly
divergent motions associated with inertial instability
invite analogies with another fundamental, strongly
ageostrophic instability: static instability. This ana-
logy is strengthened by the close similarity in the
derivation of these two instabilities’ criteria, discussed
below.

Mathematical Criteria for Instability

Inertial instability represents a large departure from
geostrophic balance. As a result, inertial instability
theory cannot rely on quasi-geostrophic or nonlinear
balances to facilitate a generalized theory, making it a
far less tractable problem than barotropic or barocli-
nic instability. In fact, no fully three-dimensional
theory for inertial instability exists currently. Instead,
the classic derivation relies on the parcel-mode
approach, an extremely simplified flow geometry,
and ignores nonlinear, frictional, and diabatic effects.
Even so, the result is remarkably useful when applied
to observed and simulated flows.

We begin by assuming that we have a perturbed
parcel embedded in a purely zonal geostrophic flow, as
illustrated in Figure 3. The horizontal equations of
motion describing the parcel are:

DHu

Dt
¼ fvag ½1�

DHvag
Dt

¼ f ug � u
� � ½2�

In these equations, the horizontal Lagrangian
derivative DH/Dt5 q/qt1 uq/qx1 vq/qy and f is the
Coriolis parameter (assumed to be constant for
simplicity). In eqn [2], the meridional pressure
gradient term has been rewritten in terms of the
geostrophic wind.

These two equations can be combined into one
equation for the meridional ageostrophic wind in the
following manner. Taking the Lagrangian derivative

R2

R1
Ω2 = 0Ω1

Ω

Ωa = f + � < 0

Ωa = f + � = 0

g

z

(A)

(B)

r

Figure 1 (A) Centrifugal instability in the Taylor–Couette

experiment and (B) inertial instability near the equator. (Adapted

with permission from Hua BL, Moore DW and Le Gentil S (1997)

Inertial nonlinear equilibration of equatorial flows. Journal of Fluid

Mechanics 331: 345–371.)
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of eqn [2] yields

D2
Hvag
Dt2

¼ f
DHug
Dt

�DHu

Dt

� �
½3�

The second term in the parenthesis in eqn [3] can be
replaced with the right-hand side of eqn [1], coupling
the two equations of motion. The first term in the
parenthesis can also be related to the meridional
ageostrophic wind via the following approximation:

DHug
Dt

ffi v
qug
qy

¼ �vagzg ½4�

The relation in eqn [4] derives from the steady,
zonally uniform mass field in Figure 3. It also assumes

that the parcel will not locally change the geostrophic
wind but it can advect geostrophic relative vorticity
meridionally; thus the analysis is non-quasi-geos-
trophic but omits the two-way interaction of the
geostrophic adjustment problem.

Insertion of eqns [1] and [4] into eqn [3] and
rearrangement leads directly to

D2
Hvag
Dt2

þ f f þ zg
� �� �

vag ¼ 0 ½5�

This second-order differential equation bears a close
resemblance to the stability equation for static
instability, with the meridional ageostrophic wind
replacing the vertical displacement and f(f1 zg)
replacing the buoyancy frequency. As in the static

C

W

C
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CONVDIV

DIV

C

W

f + ζ = 0f  = 0

A
lti

tu
de

W

Latitude

Figure 2 Schematic view of inertially unstable circulations in (y, z). DIV and CONV refer to regions of divergence and convergence due

to the horizontally divergent inertial circulations, shown in heavy bold arrows. Conservation ofmass leads to the verticalmotions shown in

the lighter arrows, which adiabatically create the warm and cold temperature anomalies labeled W and C respectively. (Adapted with

permission from Dunkerton TJ (1981) On the inertial stability of the equatorial middle atmosphere. Journal of the Atmospheric Sciences

38: 2354–2364, and Hayashi H, Shiotani M and Gille JC (1998) Vertically stacked temperature disturbances near the equatorial

stratopause as seen in cryogenic limb array etalon spectrometer data. Journal of Geophysical Research 103: 19469–19483.
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stability problem, we assume a wave solution and
obtain the following cases:

f f þ zg
� �

> 0

stable inertial oscillationwith period
2p

f f þ zg
� �� �1=2

½6�

f f þ zg
� � ¼ 0 inertial neutrality ½7�

f f þ zg
� �

o0

inertial instabilitywith e-folding time
1

�f f þ zg
� �� �1=2

½8�

Note that the inertial oscillation period in eqn [6]
reduces to the usual textbook form if zg5 0; the more
general form in eqn [6] has been applied successfully to
constant-pressure radiosonde trajectory periodicities.
Weak inertial stability is analogous to weak static
stability, in which forcing leads to a larger response
than in strongly stable conditions.

The criterion in eqn [8] can be interpreted in a
variety of ways. In the Northern Hemisphere, it is
equivalent to negative geostrophic absolute vorti-
city. For statically stable conditions, eqn [8] implies
negative potential vorticity in a geostrophic flow in the
Northern Hemisphere. If eqn [8] is calculated on an
isentropic surface then it is identical to the criterion for
symmetric instability (see Instability: Symmetric
Stability). Interestingly, the necessary criterion for
barotropic instability is the meridional derivative of
eqn [8].

The e-folding times of inertial instability are, by eqn
[8], dependent on the latitude and themagnitude of the
anomalous absolute vorticity. Observations and mod-
eling studies suggest e-folding times as short as a few
hours in the mesoscale midlatitide troposphere and
around one day in the equatorial middle atmosphere.
These time scales are much longer than for static
instability but are usually shorter than for barotropic
instability.

Extensions beyond eqn [8] are possible in some
cases. For a circular vortex, the criterion in eqn [8] is
modified only slightly, with the sum of the shear and

Range from −1.3828446e−09 to 2.5954147e-07 s−2 Contour = 1.50000e−09
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Figure 3 Schematic illustrating the physical situation posed in

the mathematical derivation of the inertial instability criterion (eqn

[8]), in which a parcel (small circle) in a background flow with

horizontal shear is subject to a perturbation (heavy arrow).
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curvature vorticities replacing the geostrophic relative
vorticity. Extension of the analysis to the beta plane
does not alter the instability criterion, although the
condition for stability becomes necessary, no longer
sufficient. On the sphere, the metric terms due to the
Earth’s curvature can alter the criterion, but the
change is significant only for high wind speeds and/
or high latitudes. The vertical equation of motion may
be incorporated into the analysis via the thermal wind
law; the resulting instability criterion is eqn [8], with
the absolute vorticity replaced with the Ertel potential
vorticity. Friction in the form of Rayleigh drag
stabilizes the flow linearly, i.e., the more drag there
is, the less unstable/more stable the flow is. Extension
of the theory to zonally asymmetric flows has been
achieved but does not yield an alternative criterion; in
general eqn [8] is used locallywith good results, except
in very strong anticyclones.

Unfortunately, the assumptions in the analysis
above preclude any insight into the vertical scale of
the instability. The growth rates for inertial instability
are greatest at smallest scales; it is hypothesized that

eddy diffusion damps these scales out and leads to a
preferred intermediate vertical scale. However, the
instability itself may be the source of the turbulent
eddies that in turn select the vertical scale of the
instability. Thus the eddy diffusion hypothesis for
vertical scale selection, which depends on externally
prescribed approximations such as Rayleigh drag, is
incomplete.

Observed Phenomena Related to
Inertial Instability

Inertial instability is possible wherever the antic-
yclonic relative vorticity rivals the Coriolis parameter
in magnitude. Therefore, it is not confined to any one
region of the planet, although it is likeliest where the
Coriolis parameter is smallest, i.e., the tropics.

Middle Atmosphere

Large-scale inertial instability is observed in the
equatorial lower mesosphere, often lasting about a
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week and occurringwithin aweek or two of the boreal
winter solstice. The instability develops in regions of
negative absolute vorticity (Figure 4) on the poleward
flank of the stratopause semiannual oscillation east-
erlies; there is also evidence for it around the summer
solstice. Its hallmarks are layered, nearly stationary
‘pancake structures’ in the eddy temperature field
(Figure 5) that have a latitudinal width of 10–20
degrees of latitude and a vertical wavelength of
roughly 10 km.

Numerical simulations and observations have
shown that Rossby wave breaking in the tropics acts
as a trigger for the onset of equatorial inertial
instability and influences its zonally asymmetric
nature in winter. The divergent character of the
instability, and some recent observational work,
suggest a role for inertial instability in the latitudinal
transport of tracers in the tropical middle atmosphere.

Recent research strongly indicates that Rossby-
wave-triggered inertial instability excites the two-day
wave of the equatorial stratopause region. The
instability may also play a role in some stratospheric
suddenwarmings and other high-latitude phenomena.
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Figure 6 Climatology of inertial instability using National Centers for Environmental Prediction daily geopotential height analyses

(horizontal resolution5381 km at 601N) at 250mb for December 1966–December 1994 (29 Decembers). Contours indicate the number

of analyses in which eqn [8] was satisfied over the 899 days in the study. (Figure courtesy Russ Schumacher, Colorado State University,

and David Schultz, National Severe Storms Laboratory.)
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vorticity (shaded, only negative regions shown; scale is

� 105 s� 1), geopotential height (heavy contours; in decameters),

and horizontal divergence (light contours; scale is � 105 s� 1) at

300mb over Texas and Oklahoma valid at 0000 UTC on 4 May

1999. The centroid of tornado reports at this time is indicatedwith a

largeT.Shaded regions, corresponding to inertial instability via eqn

[8], are colocated with severe weather and with high values of

divergence. The inertially unstable region over Texas was

associated with 29 severe weather reports. (Figure courtesy David

Schultz, National Severe Storms Laboratory.)
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Upper Troposphere

Inertial instability has been sought for in jet stream
analyses since the 1940s. A long-term climatology of
inertial instability based on NCEP geopotential
heights (Figure 6) reveals why this has been a difficult
search: the criterion for the instability is achieved in
the data-richmidlatitudes only once every few years at
most. (The occurrence rate is of course higher for
higher-resolution data sets, but is still rare.) However,
Figure 6 suggests that inertial instability is a fairly
common phenomenon in the subtropical upper tropo-
sphere, particularly on the equatorward flank of the
East Asian jet. Recent work has shown layered
disturbances in low-PV regions near the tropopause
just south of Japan.

Inertial instability can enhance the outflow from
mesoscale convective systems such as thunderstorms,
‘tropical plumes’, andhurricanes (theRossby radius of
deformation, an estimator of the outflow width, is

closely related to eqn [8] and is infinite in the case of
inertial instability). However, the evidence for its role
in both hurricane outflow and severe thunderstorms is
mixed. In Figure 7, the upper-tropospheric flow pattern
for the devastating 3 May 1999 Oklahoma City,
Oklahoma, tornado outbreak is depicted. Inertially
unstable regions are colocated with strong divergence
aloft and severe weather at the surface in this case, but
not in others. The relationship between inertial
instability and convection is still not well understood.

Inertial instability may also have a connection to
hazardous weather from an aviation perspective. The
gravity wave radiation expected from strongly antic-
yclonic regions, such as inertially unstable circula-
tions, may lead to some otherwise unexplained
instances of clear-air turbulence.

Lower-to-Middle Troposphere

Inertial instability below the jet stream level is
confined to the tropics and a few rare instances in the

Figure 8 National Weather Service Doppler radar image from Sullivan, Wisconsin (circle at center of image) at 1133 UTC on 14 July

1995. Thebandedechoesextendingeast-southeast across centralWisconsin correspond to elevated convectionat dawnduring a deadly

heat wave.
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midlatitudes. The cross-equatorial Asian monsoon
circulation appears to accelerate toward the coast of
India under the influence of inertial instability. The
divergence – convergence couplets of inertial instabil-
ity appear to determine the location of near-equatorial

convection and the mean latitude of the Intertropical
Convergence Zone.

Intense extratropical anticyclones may possibly
exhibit inertial instability. This is the best explanation
for an unforecast pre-dawn elevated convection event

Figure 9 Potential vorticity (.025 PV unit contour interval, only negative values contoured) and equivalent potential temperature (2K

contour interval) at 4 kmover the upperMidwestUnitedStates, as determined by a 24-hour forecast from theUniversity ofWisconsin non-

hydrostatic model (UW-NMS; horizontal resolution 6.67 km, vertical resolution 200–1000m) valid at 1200 UTC 14 July 1995. Note the

region of negative PV extending east-southeastward across central Wisconsin. The equivalent potential temperature field indicates the

near-horizontal character of the flow over the region.

Figure 10 Cross-section of 24-hour forecast vertical motion (contoured every 0.025ms� 15 2.5 cms� 1) from UW-NMS valid 1200

UTC 14 July 1995. The cross-section slices NNW-SSE through the region of maximum inertial instability in Figure 9 (vertical mark below

horizontal axis). The checkerboard pattern of vertical motion in the vicinity of the inertially unstable region should be compared with the

schematic in Figure 2.
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near the center of the mid-July 1995 Chicago heat
wave high-pressure system. Elongated bands of light
precipitation (Figure 8) coincided closely in time and
space with a narrow region of negative potential
vorticity (Figure 9). Very high-resolution model
simulations of this event, shown in Figure 10, indicate
a checkerboard pattern of vertical motion (and thus
divergence and convergence) strongly suggestive of
Figure 2. It appears that the rising motions induced by
the instability were substantial enough to cause
condensation and elevated convection where strong
subsidence would normally be expected.

Other Geophysical Fluids

Like the atmosphere, the oceans may also contain
inertially unstable flows wherever the anticyclonic
current is fast and the effect of the planetary rotation is
weak. The layered structure of subthermocline equa-
torial ocean currents, reminiscent of the middle
atmosphere ‘pancake structures’ and confined to
within a degree or two of the Equator, has been linked
with inertial instability. Furthermore, anticyclonic
ocean eddies, even at high latitudes, can satisfy the
criterion in eqn [8]. For example, the overwhelming
tendency for ‘spiral eddies’ on the scales of a few
kilometers to rotate cyclonically has been attributed to
the limiting effects of inertial instability on small-scale
anticyclones.

Farther afield, the atmospheres of Mars and the
large gaseous planets are likely venues for inertial
instability owing to their strong jet structures at low
latitudes. Modeling studies suggest that the very
strong shears on the equatorial flanks of the Martian
jets should be inertially unstable, even in long-term
means.

Summary

After several decades of off-and-on attention, inertial
instability now seems firmly ensconced in the lexicon
of geophysical fluid dynamics. The instability is at its
largest and most observable in connection with
breaking Rossby waves in the tropical middle atmo-
sphere, but it can happen anywhere anticyclonic shear
and/or curvature becomes unusually intense. Its purely
horizontal origins and flattened pancake circulations
make it orthogonal to static instability andmuchmore
difficult to observe. However, as a strongly ageos-
trophic instability it otherwise shares much in
common with static instability. It is perhaps not too
much of a stretch to call inertial instability by the
nickname ‘horizontal convection’, while keeping in
mind that rotation, not density, is at the heart of
inertial instability.

Some outstanding research issues involving
inertial instability include observation and theoretical
explanation of its onset and three-dimensional
structure; elucidation of its relationship to wave
dynamics, other instabilities, and balanced dynamics;
and further investigation of its role inmixing on awide
range of scales, from convection to planetary-scale
flows.

Glossary

Taylor–Couette instability Also known as centri-
fugal instability, this is a fundamental fluid
dynamical instability that occurs between
differentially rotating cylinders. The bibliographic
entry for Donnelly should satisfy the non-expert’s
curiosity.

Rayleigh drag An expedient approximation to dis-
sipation used in theory and modeling, it assumes
that dissipation is proportional to the wind speed
times a constant, i.e., it is a linear drag on the wind
speed.

Ertel potential vorticity A generalized version of
potential vorticity that is valid for baroclinic flows
and is conserved for adiabatic and frictionless
conditions.

‘PV unit’ A way of reducing the complexity of the
units of Ertel potential vorticity; 1 PV unit5 10� 6

m2 s�1 K kg� 1. Values below zero indicate inertial
instability according to extensions to eqn [8]; values
above approximately 1.5 units usually indicate
stratospheric air.

Rossby radius of deformation A fundamental length
scale of the atmosphere that is, among other things,
the distance over which the height field adjusts
during the geostrophic adjustment process. It is
also a measure of the radially confined nature of a
vortex and is smallest for cyclones, largest for
anticyclones.

See also

Angular Momentum of the Atmosphere. Anticy-
clones. Dynamic Meteorology: Balanced Flows;
Waves. Instability: Symmetric Stability. Laboratory
Geophysical Fluid Dynamics. Mesoscale Meteoro-
logy: Mesoscale Convective Systems. Middle Atmo-
sphere: PlanetaryWaves; Semiannual Oscillation; Trans-
port Circulation. Monsoon: Dynamical Theory. Ocean
Circulation: General Processes. Planetary Atmo-
spheres: Jupiter and the Outer Planets; Mars. Rossby
Waves. Tropical Meteorology: Inter Tropical Conver-
gence Zones (ITCZ). Turbulent Diffusion. Vorticity.
Wave Mean-Flow Interaction.
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Introduction

Symmetric stability is a state of the atmosphere in
which an inviscid, dry-air parcel displaced from its
equilibrium position with respect to some axis along
or aboutwhich the flowhasnovariations, i.e., alongor
about an axis of symmetry, experiences a restoring
force which makes it oscillate about its original
position. For axially symmetric displacements in a
ring about an axially symmetric vortex the wave
motions are called inertial or centrifugal waves.
Centrifugal oscillations are like buoyancy waves
with the horizontal centrifugal (inertial) force playing
the role of buoyancy (gravity).

Similar oscillations can also occur in a statically
stable, rotating atmosphere when the thermal
wind shear vector is unidirectional and does not vary
along the direction it is oriented. Parcels in the form
of a tube are displaced in a vertical plane normal to
the thermal-wind vector. In this case the axis of
symmetry is the axis along which the thermal wind is
directed.

If potential temperature increases with height and
the geostrophic absolute vorticity is anticylonic then
the atmosphere is inertially unstable; if the potential
temperature decreaseswith height and the geostrophic
absolute vorticity is cyclonic then the atmosphere is
gravitationally (or statically) unstable. If the geo-
strophic absolute vorticity is cyclonic and potential
temperature increases with height then the atmos-
phere is both inertially stable and gravitationally
stable; however, if infinitesimal displacements in the
plane normal to the vertical shear are accompanied by
forces that move the air parcel farther away from its
equilibrium position then the atmosphere is symme-
trically unstable. Since the atmosphere is baroclinic,
owing to the thermal wind, this instability is a special
case of baroclinic instability for a flow inwhich there is
no temperature gradient component along the axis of
symmetry.

When tubes of moist, unsaturated air are lifted in a
symmetrically stable atmosphere to a level at which
condensation occurs (and water and ice loading are
not significant or are neglected) and thence to a level at
which the atmosphere is symmetrically unstable with
respect to saturated processes (i.e., when vertical
trajectories follow surfaces of constant equivalent or

wet-bulb potential temperature instead of surfaces of
potential temperature), then the atmosphere is in a
state of conditional symmetric instability (CSI). CSI is
analogous to conditional instability for air parcels
lifted vertically. Since CSI involves forces that are both
horizontally and vertically directed, the process by
which the instability is released is also referred to as
slantwise convection. When a layer of moist air that is
initially symmetrically stable is lifted to saturation,
and the vertical displacement of air itself creates the
conditions for slantwise convection, then the process is
referred to as potential symmetric instability (PSI),
which is analogous to potential instability for
upright convection. At saturation, CSI and PSI are
equivalent.

The importance of CSI is that it is thought to be
responsible for the formation of somemesoscale bands
of precipitation that are oriented along the thermal
wind. Since the thermal wind is oriented along the
elongated zone of strong temperature gradient asso-
ciated with fronts and is quasi-two-dimensional, CSI
may be triggered in response to slantwise, ageostro-
phic, frontal circulations initiated by confluence/
diffluence acting on a cross-frontal temperature gra-
dient. It is also thought that CSImay be responsible for
eyewall rainbands in some tropical cyclones.

The Parcel Theory of Symmetric
Instability in an Inviscid, Dry
Atmosphere

The analysis of symmetric stability is simplified by
using a parcel approach analogous to that used in
the parcel theory of upright convection. Consider a
Cartesian coordinate system in which there is a
temperature gradient in the y–p plane and that q=qx
of all variables is zero (this choice of an axis of
symmetry is arbitrary; sometimes the y-axis is chosen
to be the axis of symmetry). For simplicity, the
dynamics are described for the Northern Hemisphere.
Consider the quantity

m ¼ u� fy ½1�

where u is the x-component of the wind and f is the
Coriolis parameter. In inviscid flow m, the absolute
momentum or pseudo-angular momentum, is con-
served; it is attributed to an infinitesimal tube of air
extending through some point ðy; pÞ infinitely off in
both the þx- and �x-directions.
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The inviscidmomentum equation in the y-direction,
with height as the vertical coordinate, is

Dv

Dt
¼ �fu� 1

r
qp
qy

¼ �f m�mg

� � ½2�

where v is the y-component of the wind, r the density,
p the pressure, D=Dt the total (material) derivative,
and the geostrophic absolute momentum

mg ¼ ug � fy ½3�
where ug is the geostrophic component of the wind
in the x-direction. Therefore the net force in the
y-direction on a tube is proportional to the difference
between them of the tube, which is conserved, and the
mg of the environment intowhich the tube is displaced.
It is assumed for simplicity that the tube does not mix
with its environment. The original value of m of the
tube is just its geostrophic value at its equilibrium
point in the y–p plane and that q=qx plane. Therefore
there will be a net force in the y-direction on the tube if
it moves into an environment where mg is different
from that of its equilibrium, starting location. Vertical
gradients ofmg are associatedwith thermalwind shear
in the x-direction (i.e., with temperature gradients in
the y direction); gradients of mg in the y-direction are
associated with geostrophic absolute vorticity.

The inviscid vertical equation of motion is

Dw

Dt
¼ g

y
y0 � yð Þ ½4�

where w is the vertical velocity, g the acceleration of
gravity, y the potential temperature of the environ-
ment, and y0 the potential temperature of the tube. If
the flow is adiabatic and there is no diffusion of heat
then y0 is conserved following themotion of the tube. It
is assumed that the environment is not disturbed by the
tube’s motion so that there is no vertical perturbation
pressure-gradient force. Therefore there will be a net
force in the vertical on the tube if it moves into an
environment where y is different from that of its
equilibrium, starting location.

Whether or not there is a restoring force on the tube
that brings it back to its equilibriumpoint aboutwhich
it undergoes a stable oscillation (symmetric stability)
or whether is continues to move in the direction of its
displacement (symmetric instability) depends on how
the surfaces of mg and y are oriented and what the
direction of displacement is with respect to the
surfaces (Figure 1). Symmetric instability is possible
(Figure 1B) if the slope of the y surfaces is greater than
the slope of themg surfaces and if the tube is displaced
infinitesimally along a plane whose slope is interme-
diate between that of the y surfaces and that of themg

surfaces (i.e., along paths a or c, but not along paths b

or d, and if qy=qz > 0 and qmg=qyo0: If qy=qzo0
(Figure 1D) or if qmg=qy >0 (Figure 1E), then the
atmosphere is statically unstable or inertially un-
stable, respectively, and not symmetrically unstable.
Figure 1A depicts neutral stability and Figure 1C
depicts absolute stability.

The thermal wind relation in terms of potential
temperature is to a good approximation

qug
qz

¼ � g

f

1

y
qy
qy

½5�

The slope of a surface of constant y is therefore

dz

dy

� �
y
¼ f qug=qz

� �
g=y qy=qzð Þ ½6�

and the slope of a surface of constantmg is

dz

dy

� �
mg

¼ f � qug=qy
qug=qz

½7�

It follows that the necessary condition for symmetric
instability is

Ri ¼ g=yð Þ qy=qzð Þ
qug=qz
� �2 o f

zg þ f
½8�

whereRi is theRichardson number for the geostrophic
wind and zg is the geostrophic vorticity, which for
symmetric flow q=qx ¼ 0ð Þ is �qug=qy. In typical
synoptic-scale flow in midlatitudes the geostrophic
vorticity is an order of magnitude smaller than f ; then
the necessary condition for symmetric instability is
that Rio1. In the vicinity of fronts where geostrophic
vorticity is much larger, Ri must be smaller.

Ertel’s potential vorticity for an atmosphere in
geostrophic and hydrostatic balance is

Z ¼ Cp

r
f
g

y
qy
qz

zg þ f

f
� 1

Ri

� �
½9�

It follows from eqn [8] that an equivalent necessary
condition for symmetric instability is that Ertel’s
potential vorticity for the geostrophic wind is negative
(anticyclonic in either hemisphere). Since

zg þ f
� �

y¼ zg þ f
� �

z
� f

Ri
½10�

where zg þ f
� �

y is the geostrophic absolute vorticity
evaluated on an isentropic surface and zg þ f

� �
z
¼

f � qug=qy is the geostrophic absolute vorticity evalu-
ated on a surface of constant height, then nega-
tive (anticyclonic in either hemisphere) isentropic
geostrophic absolute vorticity is also an equivalent
necessary condition for symmetric instability.

INSTABILITY / Symmetric Stability 1015



It can also be shown that the necessary condition for
symmetric stability is equivalent to the ellipticity
condition for the Sawyer–Eliassen equation, which
describes the vertical circulation about a front forced
by geostrophic confluence/diffluence and differential
diabatic heating and whose dynamics are governed by
the geostrophic-momentum approximation. Since the
Sawyer–Eliassen equation is a second-order, constant-
coefficient, partial differential equation, the condition
of ellipticity is necessary for it to have unique solu-

tions. Thus, balanced frontal circulations are possible
only if the atmosphere is symmetrically stable.

The Parcel Theory of Slantwise
Convection in an Inviscid, Moist
Atmosphere

The analysis of symmetric instability in a moist
atmosphere is complicated by latent heat release, and
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Figure 1 Stability criteria for symmetric flow q=qx ¼ 0ð Þ in terms of the slope of themg (solid lines) and potential-temperature y (dashed
lines) surfaces. Displacements in the directions a;b; c, and d are referred to in the text. (A) Neutral stability for displacements along the y
and mg surfaces; otherwise stable for infinitesimal displacements. (B) Symmetric instability: unstable for infinitesimal slantwise

displacements intermediate in slope between that of y surfaces andmg surfaces; otherwise stable. (C) Absolute stability: stable for any

infinitesimal slantwise displacement. (D) Gravitational instability: unstable for any infinitesimal slantwise displacement not along a y
surface. (E) Inertial instability: unstable for any infinitesimal slantwise displacement not along an mg surface. (Adapted with permission

from Bluestein HB (1993) Synoptic-Dynamic Meteorology in Midlatitudes. Vol. II: Observations and Theory of Weather Systems. New

York: Oxford University Press.)
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water and ice loading. The governing momentum
equation remains eqn [2]. The governing vertical
equation of motion, on the other hand, is different
from eqn [4] since it must account for latent heat
release, and if there is condensate, for water and ice
loading also. Surfaces of constant entropy that
account for latent heat release and for condensate
loading replace potential temperature in eqn [4]. If
both the environment and the tube are unsaturated
and there is no condensate, then virtual potential
temperature yvð Þ may be used in place of potential
temperature. If the tube is saturated and the environ-
ment unsaturated, and condensate ignored, then
potential temperature of the tube may be replaced by
equivalent virtual potential temperature yevð Þ; if both
the tube and the environment are saturated, and
condensate ignored, then the potential temperature of
both the tube and environment may be replaced by
equivalent virtual potential temperature. (Wet-bulb
virtual potential temperature ywvð Þ may be used
instead of equivalent virtual potential temperature.)

For the purpose of illustration consider an atmos-
phere that is unsaturated and has no condensate, but is
moist. Suppose that the distribution of yv; yev, andmg

is as shown in Figure 2. Since the slope of the surfaces
of constant yv; are not steeper than the surfaces of
constant mg at low levels, the atmosphere there is
symmetrically stable or even neutral with respect to
unsaturated displacements. However, there are re-
gions aloft where the slope of surfaces of constant yev
are steeper than the surfaces ofmg: In these regions, if
condensate loading is ignored then the atmosphere
is symmetrically unstable with respect to infin-
itesimal saturated displacements. Since the stability
depends upon whether or not a tube is saturated or
unsaturated, the symmetric instability condition is
conditional.

Suppose an unsaturated tube at low levels is lifted a
finite distance along a surface of constant yv (e.g., by
the ascending branch of a frontal circulation or more
slowly as a result of quasigeostrophic forcing) until it
reaches its lifting condensation level (LCL) and that
condensate is ignored. If lifted any further, it follows a
surface of constant yev. Thus far the tube is neutrally
buoyant.Owing to the inclusion of the effects of latent
heat, the surfaces of constant yev have slopes different
from that of the surfaces of constant yv: The m of the
tube is greater than that in its environment everywhere
to the right of the original mg surface; therefore
according to eqn [2] the tube is symmetrically stable
because it feels a restoring force that has a component
to the left; were the tube forced no further, it would
become negatively buoyant and move back down and
to the left towards its original equilibrium position.
The tube is symmetrically stable even though it

is saturated and the slope of the surfaces of constant
yev is greater than the slope of the surfaces of constant
mg because the tube has undergone a finite displace-
ment rather than an infinitesimal displacement.

If the tube is lifted further, however, so that
eventually it crosses to the left of the original mg

surface, and it is displaced upward and to the right at a
slope intermediate between that of the yev and mg

surfaces, then according to eqns [2] and [4] it would
continue to accelerate upward and to the right if it
were not forced any more. The level at which it would
first realize symmetric instability is called the level of
free slantwise convection (LFS), in analogy with the
level of free convection (LFC) for upright convection.

Eventually the tube will reach a level at which it
crosses back to the right side of the originalmg surface
where the slope of the yev surfaces is now less than that
of themg surfaces. Above this level, the level of neutral
buoyancy (LNB) for slantwise convection, the atmos-
phere is symmetrically stable. The LNB tends to
be near the tropopause, where y surfaces are more
horizontally oriented owing to the strong static
stability (eqn [6]) in the lower stratosphere and where
mg surfaces are more vertically oriented owing to the

Tropopause

z

y

LCL

LNB

LFS

	v constant

	v+∆	v

	wv+∆	wv

	ev+∆	ev,

mg+∆mg mg
	ev, 	wv

	v

Figure 2 Idealized example of a vertical cross section in the

Northern Hemisphere, normal to the thermal-wind shear vector,

showing surfaces of constantmg (solid lines), and constant yv; yev;
and ywv In this example yv; yev; and ywv (dashed lines) increasewith
height (gravitational and conditional stability), mg decreases with

increasing y (inertial stability), and yv decreases with y (baroclinic

atmosphere, with colder air at larger values of y). Lifting conden-

sation level (LCL); level of free slantwise convection (LFS); level of

neutral buoyancy (LNB). Below the LCL the slope of the yv surface
is less than that of themg surface. Note that the slope of yev and ywv
surfaces is greater than the slope of yv surfaces because the lapse
rate of a yv surface is greater than that of a yev or ywv surface, and
yv; yev; and ywv decrease with y. (Adapted with permission from

Bluestein HB (1993) Synoptic-Dynamic Meteorology in Midlati-

tudes, Vol. II: Observations and Theory of Weather Systems. New

York: Oxford University Press.)
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lack of horizontal temperature gradient and thermal-
wind shear (eqn [7]) at the tropopause.

The amount of kinetic energy it takes to lift a tube to
its LFS is called the slantwise convective inhibition
(SCIN). The potential energy in the environment that
is converted into kinetic energy of the tube while it is
symmetrically unstable is called the slantwise convec-
tive available potential energy (SCAPE). SCIN and
SCAPE are the analogs to the convective inhibition
(CIN) and convective available potential energy
(CAPE) in the parcel theory of upright convection.
The SCAPE is equivalent to CAPE computed along a
surface of constant mg: In the geostrophic coordinate
system used in semigeostrophic theory,mg surfaces are
parallel to the geostrophic coordinate, which is
directed opposite in direction to the horizontal tem-
perature gradient. Thus, SCAPE is CAPE computed in
geostrophic coordinates. In the limit of vanishing
baroclinicity, mg surfaces become vertically oriented
(see eqn [7] when qug=qz ! 0) and SCAPE is identical
to CAPE.

If the atmosphere is saturated then an equivalent
necessary condition for CSI is that Ertel’s potential
vorticity for saturated moist processes is negative
(anticyclonic in either hemisphere). If the effects of
condensate are accounted for then the criteria for CSI
are more complicated. The loading depends on what
phase of water substance is present; condensate that
falls out does not follow air parcel motion and may
evaporate into unsaturated air.

Symmetrically unstable tubes undergoing slant-
wise ascent must be compensated for by regions of
slantwise-descending air. The regions of slantwise-
descending air modify the environment so as to
make the tubes less symmetrically unstable, just as
compensating subsidence around buoyant clouds
(according to the slice method in the theory of up-
right convection) warms the environment and lessens
the buoyancy in the clouds (i.e., the CAPE is dimin-
ished). The narrower the slantwise ascending branch
and the wider the slantwise descending branch, the
less is the slantwise acceleration (i.e., the less is the
SCAPE). The most unstable configuration is one of
thin, relatively rapidly slantwise-ascending layers
of saturated air sandwiched in between thick, less
rapidly slantwise-descending layers of unsaturated air
that are being cooled evaporatively from precipitation
falling out from above. If the most unstable configu-
ration is the one most likely to occur, then CSI
precipitation bands should be relatively narrow and
widely spaced.

The horizontal scale of CSI precipitation bands
estimated from the horizontal extent of a sloping mg

surface (eqn [7]) is Ug=f ; where Ug is the change in
geostrophicwind in the layer of CSI. For typical values

of Ug in midlatitudes, the horizontal scale of CSI
precipitation bands is on the order of 100 km,which is
mesoscale.

Observations of Conditional
Symmetric Instability

Slantwise convection may be triggered suddenly after
a gradual buildup in SCAPE by synoptic-scale or
mesoscale processes, or it may be in statistical equi-
librium so that the SCAPE is nearly zero and constant.
Since the latter is the frequently observed case, it is not
easy to use SCAPE as a forecast tool because its
absence does not preclude the possibility that CSI is in
fact being released; the existing observational network
cannot resolve the space and time scales of the
production of CSI and its releasewhen the atmosphere
is in statistical equilibrium.

Bands of precipitation ahead of warm fronts may
be due to CSI. The bands are important in that
large amounts of precipitation may accumulate in
mesoscale regions, which makes the forecasting of
floods and heavy snow difficult; synoptic-scale
dynamics, on the other hand, can explain only how
lower amounts of precipitation accumulate over
broader regions. The slanted convection in the
eyewall of some rapidly intensifying tropical cyclones
might also be a result of CSI. In this case, the
temperature gradient is directed toward the center of
the tropical cyclone.

When Ertel’s potential vorticity for moist processes
is very small, i.e., when the atmosphere is nearly
neutral with respect to CSI, the atmosphere’s response
to frontogenetical forcing is enhanced. Since frontal
secondary circulations and the secondary circulations
in tropical cyclones themselves can produce preci-
pitation bands it is therefore not always easy to
distinguish between bands forced by the secondary
circulations and the bands forced by CSI.

See also

Dynamic Meteorology: Overview. Instability: Inertial
Instability. Mesoscale Meteorology: Cloud and Precip-
itation Bands.
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Introduction

In 1964, Charney and Eliassen introduced the term
CISK (conditional instability of the second kind) to
describe a positive feedback between deep moist
convection and a large-scale circulation. They hy-
pothesized that hurricane intensification was such a
process, in which surface friction helps to induce low-
level convergence into a vortex, resulting in deep
convection and latent heating that amplify the vortex.
In the late 1960s, Yamasaki and Hayashi first consid-
ered the feedbacks betweendeep convection and large-
scale equatorial waves. In their models, convection
could intensify (destabilize) the wave in some cases
through purely inviscid processes not dependent on
feedbacks with surface drag or surface thermodynam-
ic fluxes. In 1974, Lindzen termed this destabilization
wave-CISK, to distinguish it from Charney and
Eliassen’s frictional CISK, and put forth perhaps the
most expansive view of the role of wave-
CISK, implicating it in the development of tropical
circulations from squall lines to the Madden–Julian
Oscillation.

Wave-CISK has proved a somewhat slippery hy-
pothesis to test, and has largely fallen from favor
among specialists in convective dynamics. The pre-
dicted instabilities are very sensitive to the represen-
tation of cumulus convection. For simple models the
fastest-growing instabilities have very short wave-
lengths, and are not clearly separable from conven-
tional conditional instability of individual cumulus
clouds. However, wave-CISK is a mode of instability
permitted by many convective parameterizations,
including some used in climate models, so it can be a
useful concept in interpreting model output even if
physically dubious.

The class of convective parameterizations that tend
to lead to wave-CISK instabilities are those that
diagnose convective mass flux based on column-

integrated horizontal moisture convergence. The
Arakawa–Schubert scheme, a typical ‘quasi-equilibri-
um’ closure inwhich the convectivemass flux is chosen
so as to regulate the local convectively available
potential energy, does not support wave-CISK, as
shownbyStark.Neither does theBetts–Miller scheme,
a typical moist adjustment convective parameterizat-
ion, as shownbyNeelin andYu, althoughHayashi and
Golder showed that CISK could be excited if the
convective adjustment turns on and off frequently. In
recent years, moisture-convergence-based convective
parameterizations have been criticized for using a
nonlocalmeasure (moisture convergence) to regulate a
local thermodynamic process (convection), allowing
unrealistic soundings to develop. Furthermore, the
development of wave-CISK is strongly influenced by
the vertical profile of convective heating perturbation
selected by the parameterization. ‘Top-heavy’ heating
perturbations concentrated in the upper troposphere
are most favorable for wave-CISK instabilities.

A Simple Wave-CISK Model

In its simplest form, wave-CISK can be phrased in
terms of a nonrotating inviscid gravity wave interact-
ing with a simple parameterization of moist convec-
tion. Wave-induced perturbations in surface heat flux
and radiative fluxes are neglected. Classically, a linear
stability analysis of a small-amplitude wave is used to
assess the convective feedback.

We consider the mathematical structure of an
extremely simple wave-CISK model based on small-
amplitude (linear) two-dimensional inviscid hydro-
static motions of a nonrotating atmosphere. The
pressure velocity o is assumed to be zero at the mean
surface pressure p ¼ ps. At the tropopause pressure pt,
a similar boundary condition or a boundary condition
that allows upward-propagating gravity waves to
radiate out of the domain may be applied.

The mean convection is assumed to maintain the
same profile of water vapor mixing ratio qðpÞ every-
where. This is a very strong simplifying assumption on
the column moisture budget, and one of the weakest
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links in simple wave-CISK models. In addition, most
suchmodels have not explicitly attempted tomaintain
a consistency between the mean temperature and
moisture profiles that ensures that boundary layer air
will be conditionally unstable, and hence able to
convect, but will not penetrate much above the
tropopause. Such consistency requires a basic state in
which the moist static energy is similar at the tropo-
pause to that in the boundary layer, which relates the
assumedqðpsÞ to the assumed troposphere-mean static
stability.

The perturbation convective heating in any column
is assumed to be caused by the conversion of the
converged moisture into rainfall; the resulting latent
heating is redistributed through the column by turbu-
lent convection according to a fixed vertical heating
profile ZðpÞ, which is normalized to have amean value
of unity averaged over the depth of the atmosphere.
The thermodynamic equation for geopotential pertur-
bation fðx; p; tÞ is eqn [1].

q
qt

qf
qp

þ so ¼ LR

pCpðpb � ptÞ ZðpÞM ½1�

In eqn [1], x is the horizontal coordinate, t is time, s is
the static stability parameter, Mðx; tÞ is the perturba-
tion column-integrated horizontal moisture conver-
gence, R and Cp are the gas constant and isobaric
specific heat of air, and L is the latent heat of
vaporization for water vapor. Using the continuity
equation, the moisture convergence can be written as
eqn [2].

M ¼
Z ps

pt

qðpÞ qo
qp

dp

g
½2�

Applying the horizontal momentum and continuity
equations results in a linear, separable equation for
oðx; p; tÞ (eqn [3]).

q2

qt2
q2o
qp2

þ s
q2o
qx2

¼ LR

pCpðpb � ptÞ ZðpÞ
q2M
qx2

½3�

With a rigid-lid boundary condition, oðpsÞ ¼ oðptÞ
¼ 0.A radiationboundary conditionwould relateoðptÞ
to its vertical derivative. In either case, this equation
admits normal modes of the form o ¼ ôoðpÞ
expðik½x� ct�Þ. In the case of constant s, Cho and
Pendlebury showed how the complex phase speed c
can be calculated by a transcendental equation most
easily derived by Fourier-analyzing ôoðpÞ and the
normalized heating profile ZðpÞ. Unstable modes
ðImðcÞ >0Þ exist for a variety of heating profiles. Use
of a radiation boundary condition instead of a rigid lid
at the tropopause usually has a minor effect on the
unstable modes.

Raymond has given a simple physical description of
wave-CISK by regarding the convective heating as a
series of pulses, each of which acts as a vertically
distributed source of gravity waves. He then showed
that for awavemoving at a particular phase speed, the
gravity wave generated by the pulse heating would
generate low-level horizontal convergence in phase
with the preexisting wave, causing the wave to
amplify.

An important feature of the eigenvalue problem is
that the horizontal wavenumber k cancels out of the
equation. This implies that if an instability is present,
shorter wavelengths will grow fastest (no short-wave
cutoff), since the growth rate is proportional to
ImðkcÞ. This suggests that wave-CISK might manifest
itself at the shortest scale at which the model assump-
tions are still plausible. Since the model assumes an
ensemble convective heating response, this scale
would have to be somewhat larger than the spacing
between convective clouds or cloud groups. However,
on such scales other mechanisms such as cold-pool
dynamics seems to play a more important role in
organizing convection into mesoscale systems.

The short-wavelength behavior is related to the
difficulty of clearly separating wave-CISK in this
model from conventional conditional instability of
individual cumuli. For a given temperature profile,
moistening the near-surface air will render the profile
more conditionally unstable to individual cumuli. Our
simple CISK model exhibits a distorted version of this
same mechanism, rendering dubious the notion of
CISK as a distinct instability of cumulus cloud
ensembles. To see this, we can integrate eqn [2] by
parts as in eqn [4].

M ¼ �
Z ps

pt

o
qq
qp

dp

g
½4�

This expresses the parameterized moisture conver-
gence, and hence the cumulus-induced heating rate, as
proportional to the vertical velocity weighted by
dq=dp . This heating counteracts the adiabatic cooling
associated with rising motion, reducing the effective
static stability of the lower andmid-troposphere. If the
near-surface air is sufficiently humid, this effective
static stability can become negative, promoting short-
wavelength CISK instabilities. Within the framework
of our CISKmodel, this condition of negative effective
static stability plays the same role as conventional
conditional instability does for growth of individual
cumuli.

The stability analysis is more involved for convec-
tive parameterizations that do not employ a moisture
convergence closure, and only a few such studies
have been published. The complication is that the
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right-hand side of eqn [3], which involves the hori-
zontal Laplacian of the heating, is not usually express-
ible purely in termsofo. Although a similar eigenvalue
problem for c can often still be formulated, it usually
must be solved numerically by vertical discretization
and may now have a short-wave cutoff.

Elaborations on the Basic Model

Many elaborations on the above model have been
proposed. In 1970, Hayashi extended a similar model
to continuously stratified motions on an equatorial
beta-plane using separation of variables in the merid-
ional direction. In particular, the equatorial Kelvin
wave has a similar zonal structure and growth rate to a
nonrotating gravity wave. This has led to many
theories that rationalize the tropical Madden–Julian
(intraseasonal) oscillation as a wave-CISK mode.
More sophisticated general circulation model simula-
tions using moisture-convergence-based convective
parameterizations, starting with Hayashi and Sumi in
1986, have also frequently produced intraseasonal
oscillations that have been interpreted as wave-CISK.

In 1979, Davies obtained a short-wavelength
cutoff by assuming a short delay between the mois-
ture convergence and the convection. With a
30–60-minute delay, the fastest growing wavelength
is a fewhundredkilometers, corresponding to a typical
size of a mesoscale convective system. In 1987, Lau
and Peng considered ‘positive-only heating’, in which
only upward motion (creating moisture convergence)
produces perturbation heat release. This can be
thought of as a simple way to represent waves suffi-
ciently strong to suppress all convection in their
subsiding branches, but still weak enough to be
approximated by linear dynamics. Such models pro-
duce unstable modes with a propagating narrow band
of ascent surrounded by a broad subsidence region.
This could be considered as a parameterized repre-
sentation of the circulation around a single intense
cumulonimbus.

Additional physical feedbacks have been consid-
ered. In 1990 Wang and Rui considered frictional
wave-CISK, the impact of surface friction and con-
vective heating on an equatorial wave, and found that
the surface drag could stimulate a pattern of convec-
tive heating that helps destabilize an equatorial Kelvin
wave. Mak considered the feedback of cumulus
convection (represented via eqn [2]) with an Eady
model of mid-latitude baroclinic instability. He
showed that the most unstable Eady mode becomes
shorter and intensifies more rapidly when moderate
cumulus-driven latent heating is included; these effects
can be interpreted in part as consequences of a reduced
effective static stability. With sufficiently strong cu-

mulus heating, his theory also predicted new classes of
boundary-trapped CISK modes. Emanuel found a
baroclinic wave-CISK mode varying perpendicularly
to the wind shear, somewhat akin to symmetric
instability, which can be excited in a broader set of
conditions than classical wave-CISK modes. These
theories await decisive testing against observations
and more sophisticated numerical models.

Current Status of Wave-CISK

Neither observations nor current cloud-resolving nu-
merical model simulations clearly show classical
wave-CISK-like modes. Furthermore, the theoretical
models that predict wave-CISK are based on dubious
parameterizations of cumulus convection. However,
there are many intriguing indications that moist
convection may in fact help destabilize some large-
scale waves through mechanisms not considered in
classical wave-CISK. Some of these include: (i) the
effect of wave-associated surface wind perturbations
on the surface fluxes and boundary layer structure
(wind-induced surface heat exchange, or WISHE); (ii)
radiative feedbacks on the wave associated with
convectively produced anvils or moisture redistribu-
tion; and (iii) feedbacks between the convection and
the humidity profile in the convecting column. The
importance of these convective/large-scale feedbacks
in producing transient variability in the tropics and
parts of the mid-latitudes on all time scales remains an
active and very important topic of research.

See also

Baroclinic Instability. Dynamic Meteorology: Poten-
tial Vorticity.HamiltonianDynamics. Instability: Inertial
Instability; Symmetric Stability. Kelvin–Helmholtz Insta-
bility. Lagrangian Dynamics. Quasi-geostrophic
Theory. Rossby Waves. Vorticity.
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Introduction

The early Greeks thought that all material was created
from four elements: air, earth, fire, and water. We now
know that the elements are actually combinations of
protons, neutrons, and electrons and that all matter is
made from various combinations of these atomic
building blocks. However, when cataloguing the
possible states of matter the ancients were not so far
off. In our daily lives, the states ofmatter referred to as
solid, liquid, and gas are clearly related to Aristotle’s
earth, water, and air.

But what about fire? What about a fourth state of
matter? Indeed, there is a fourth state of matter, the
state called ‘plasma’, which could equally well have
been called ‘fire’, since the hotter a flame, the closer it
comes to the plasma state.We dwell for amoment here
on the plasma state itself, since the Earth is surrounded
by just such amedium – a region called the ionosphere
– which is the topic of this article. In fact, we see
throughout this volume that the atmosphere of the
Earth itself includes all four states of matter when one
includes raindrops, snow, ice, and the ionospheric
plasma, in addition to the gaseous component.

The list of earth, water, and air (solid, liquid, and
gas) can be reordered according to the common
knowledge that when a solid is heated it becomes a
liquid and then a gas in processes called ‘change of
phase’. At each phase change, bonds are broken to
form the next phase. More energy is required at each

step, and by the time one gets to the transition fromgas
to plasma, quite a lot of energy is required. In this final
step the phase change required actually rips an
electron away from the gaseous atom or molecule,
leaving a positive ion behind. Since electric charge is
conserved, the new state of matter remains neutrally
charged on average (equal numbers of positive ions
and negative electrons), but these constituents may
seldom run into each other and hence have little
chance to recombine to the atomic (gaseous) state. If
this is so, a plasma is born.

Howmuch energy is needed to rip apart atoms? The
response is ‘a few electron volts’. This is surprising at
first, since we are all familiar with the batteries in our
radios and automobiles, which operate at voltages of
1.5–12V. We must remember, however, that batteries
run on chemical reactions that themselves involve
exchanges of electrons between atoms and molecules,
so the volt is a natural-sized unit for ionic bonds. How
can we relate this unit to temperature? Suppose we
have a pure gas like hydrogen; how hot does it need to
be to become a plasma? Suppose the gas is already hot
enough that theH2molecules have separated into pure
hydrogen as the bonds are broken due to collisions of
molecules with each other. The proton–electron pair
that makes up a hydrogen atom has a binding energy
requiring 13.5 electron volts (eV) to separate the
particles. Thus to have significant numbers of atom
collisions result in ionization as in eqn [I], the average
energy of the colliding H atoms must be the order of
13.5 eV.

HþH ! HþHþ þ e� ½I�
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Just what does a volt signify? The units of a volt are
joules per coulomb (JC� 1). This means that if a 1-volt
battery is capable of storing one coulomb of charge, a
total of one joule of energy is available (enough to lift a
mass of one kilogram to a height of 100 cm on the
Earth’s surface). A typical car battery can supply a
current of 100 amperes (100 coulombs per second) for
an hour, although not continuously, so it stores about
360 000C. Thus the 12V car battery stores about
4.3 million joules (12 JC� 1� 360 000C). Since an
electron has a change of only 1.6� 10� 19C, an energy
of 13.5 eV corresponds to about 2.2� 10�18 J. Now
we need to relate energy to temperature. Kinetic
theory shows that the average energy of a particle in
a gas is equal to 3

2kBT where kB is Boltzmann’s con-
stant (1.38� 10� 23 JK�1) and T is the absolute
temperature in Kelvin. If we set this expression
equal to 2.2� 10� 18 J and solve for T, we obtain
T ¼ 106 280K! Such a high temperature showswhy it
is difficult to produce and control plasmas in the
laboratory or in fusion machines.

The Sun is powered by nuclear fusion at its core and
is therefore very hot; hence it follows that much of its
matter is ionized. Gravity controls this fiercely hot
object. The Earth is much cooler, and hence it is not
obvious that there would be a plasma state in its
environs. However, there is a plasma surrounding the
Earth called the ionosphere. The fundamental pro-
duction and loss mechanisms for the Earth’s iono-
sphere are described next. This is followed by a
description of more exotic sources of the plasma
surrounding the Earth, including the solar wind,
magnetic storms, meteors, and the auroras. These
sources are localized in time and space and can be
linked under the umbrella of weather processes in
space or, in short, space weather. Space weather is also
influenced by sources of energy and momentum from
the Earth, the dense atmosphere below, and sources
including waves from severe storms, orographic fea-
tures, and earthquakes, as well as the release of stored
energy via plasma instabilities.

Sources and Fundamental Features
of the Ionosphere

The ionosphere is formed primarily when the most
energetic component of the solar spectrum – the X-
rays and extreme ultraviolet (EUV) light – impact the
illuminated side of the Earth. These high-energy
photons strike the daytime side of the Earth, ionizing
the upper atmosphere and losing energy in the process.
As the beam penetrates the atmosphere, the ionizing
beam becomes weaker and weaker, leaving behind a
layer of ionization. Part of the energy goes into heat as

well as into ionizing the air, resulting in the temper-
ature also rising to valuesmuch higher than in any part
of the dense atmosphere below. Life on Earth is thus
protected by its upper atmosphere from these danger-
ous photons, just as the ozone layer absorbs the lower-
energy, but still harmful, ultraviolet component of the
Sun’s spectrum.

We compare and contrast the atmosphere and
ionosphere in Figure 1. The most important atmos-
pheric parameter is temperature, which is plotted
versus height in (A). The key ionospheric parameter is
the number of electrons (which equals the number of
positive ions) per cubic centimeter. This is plotted in
(B) for typical nighttime and daytime conditions.

As anticipated above, the atmospheric temperature
rises from its lowest value near the mesopause (near
200K) to well over 1000K in the thermosphere in the
same height range where the daytime ionosphere is
produced. A glance at Figure 1B shows that the
ionosphere does not entirely disappear at night, even
though the sunlight is no longer present to create new
ionization. This is one of the key characteristics of the
Earth’s ionosphere and explains, for example, how
Marconi was first able to send wireless signals across
the Atlantic Ocean at night. To understand why some
of the ionosphere remains through the night, we must
consider the ion chemistry of the region.

At high altitudes (4300 km), production (P) and
loss (L) of ionospheric plasma are both small. The
balance between diffusion and gravitation results in
the so-called hydrostatic equilibrium in which the
plasma pressure (p) is of the form of eqn [1].

p ¼ p0 e
�h=Hp ½1�

In eqn [1],where e is the base of the natural logarithms;
h is height above some reference; p0 is the pressure at
the reference altitude; and Hp is the plasma scale
height, given by eqn [2].

Hp ¼ kBT

ðM=2Þg ¼ 2kBT

Mg
½2�

In eqn [2], M is the average ion mass and g is the
gravitational acceleration. According to eqn [1], the
pressure falls by a factor of about 2.7 for each altitude
increase ofHp.M is quite close to the average mass of
the neutral atmospheric particles surrounding the
plasma. The factor of 2 comes from the fact that the
average plasma mass is half the ion mass, since the
electron mass is so tiny. The neutral atmosphere
behaves like eqn [1] except that the neutral scale height
Hn is half as large. One conclusion from the above is
that, because the electrons are so light, the ionosphere
extends higher into space than the neutral atmosphere

IONOSPHERE 1023



surrounding it. For reference, Hn is about 50 km and
Hp is about 100 km in the middle ionosphere.

At these altitudes the composition of the atmos-
phere is no longer similar to the surface composition
(which is 79% N2, 20% O2 1 minor constituents).
The atmosphere is no longer mixed, and lighter atoms
can reach higher altitudes. Also, O2 is photodissoci-
ated into free oxygen atoms. Figure 2 shows the
composition in terms of various atoms,molecules, and
ions versus height for the mid-latitude ionosphere/
thermosphere. We see that oxygen becomes dominant
at 200 km and hydrogen above 700 km. Similarly, the
ionosphere is primarily made up of H1 (with some
He1) at very high altitude, O1 in the height range near
the peak density, and a mixture of O2

1, N2
1, and NO1

in the lower thermosphere. Hydrogen is so light that it
can escape the Earth’s gravity and form the Earth’s
geocorona, a halo of hydrogen analogous to the Sun’s

glowing corona seen during an eclipse. By chance,
hydrogen and oxygen have almost identical ionization
potentials, so charge exchange is a very easy process,
as shown in eqn [II].

HþOþÐOþHþ ½II�

Thus, if O1 is surrounded by H gas, after a while an
oxygen ion will give up its charge to form a hydrogen
ion (H1). This explains why O1 ions formed at low
altitudes during daytime become H1 ions at very high
altitudes.

Gravity and pressure are not the only forces with
which the ionosphere must deal. The Earth’s dipole
magnetic field lines force the hydrogen ions to travel
along closed trajectories between the hemispheres,
since following the magnetic lines is easy but moving
across them is not. The particle motion is helical, the
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particles moving in circles around the magnetic field
lines while freely moving parallel or antiparallel to the
direction of the field lines. The result of this motion is
that the entire region, in a toroidal shape (shown in
Figure 3), becomes filled with a hydrogen plasma
during the daytime (whose source is sunlight ioniza-
tion of oxygen coupledwith charge exchange). During
the night, this region – called the plasmasphere – starts
to unload downward into the ionosphere by the
reverse process, tending to maintain the oxygen
plasma in the ionosphere during the night with the
whole process starting over the next day. The reason
the plasmasphere abruptly ends at about 4 earth radii
(601 magnetic latitude) is very interesting and is
discussed below.

Refilling from above is not the entire reason that the
ionosphere lasts all night, however. It turns out that a
charged atom cannot easily recombine with an elec-
tron, since in a reaction such as [III] it is very difficult
simultaneously to conserve both energy and momen-
tum, and the reaction rate is very small.

Oþ þ e� ! O ½III�
However, in reactions [IVa] and [IVb] there are two
end products, and this difficulty does not arise.

Oþ
2 þ e� ! OþO ½IVa�

NOþ þ e ! NþO ½IVb�
Reactions [IVa,b] are called dissociative recombi-

nation and are very fast. This explains why the
molecular ions (seen in Figure 2) at low altitudes
disappear at night, leaving theO1 plasma above as the
distinct nighttime layer (shown in Figure 1). In fact,
reaction [III] is so slow thatO1 is actually lost through
a two-step process such as charge exchange [Va]
followed by [Vb].

Oþ þO2 ! Oþ
2 þO ½Va�

Oþ
2 þ e� ! OþO ½Vb�

An alternative route is ion–atom interchange followed
by [VIb].

Oþ þN2 ! NOþ þN ½VIa�

NOþ þ e ! NþO ½VIb�

Both [Va] and [VIb] leave oxygen in an excited state,
which emits both red (630 nm) and green (557.9 nm)
light that is visible from the ground to sensitive
cameras. Such emissions are called airglow and
provide a tool for visualizing the ionosphere, as shown
in the next section.

To summarize thus far: the ionosphere is created
during the daytime by X-rays and EUV from the Sun,
which are absorbed while heating and ionizing the
outer layer of the atmosphere. This heats the gas to
temperatures over 1000K, explaining why it is called
the thermosphere. The plasma, which is primarily O1

above 200 km, diffuses upward against gravity, reach-
ing high enough that charge exchange with the
geocorona converts the ionosphere to a H1 plasma,
which can escape gravity. The plasma is constrained by
the dipole magnetic field to a toroidal configuration,
filled during the day and emptied at night. Molecular
ions dominate in the lower thermosphere, but they
disappear quickly after sunset, leaving a slowly
decaying O1 layer.

A Day in the Life of the Midlatitude
Ionosphere

The most powerful single tool for ionospheric studies
is an incoherent scatter radar that detects the micro-
scopic fluctuation due to thermal motions in the
ionosphere. The first such instrument, and still the
largest of the 11 now in use worldwide, is near
Arecibo, Puerto Rico. The dish is 1 km in circumfer-
ence and can ‘see’ the ionosphere out to several
thousand kilometers altitude. Figure 4 shows the
plasma content measured by the radar over a full day.
The earlier discussion explains the basic character of
this plot, but not at all its details. We see that the
density is high during the day, even at 100 km.At night
the lower ionosphere rapidly – and almost completely
– disappears, so much so that to see anything at all we
have to change the altitude scale and gray scale. Then
slowly during the night, the density decays to low
values just before sunrise, when the cycle begins again.
But what about the wiggles?Why does the layer move
up and down? And what is the origin of the weak
ionization layers seen at low altitudes?

These effects in large part are due to horizontal
winds andwaves in the thermosphere.With a very hot
atmosphere on the daytime side (41000K) in full
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Figure 3 A toroidal region of high plasma density exists around

the Earth on averagewithin the region shown. Thesemagnetic flux

tubes are filledwith plasmaof ionospheric origin during the day and

discharge only slowly at night.
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sunlight and a very cool one at night (o800K), it is not
surprising that strong winds blow from day to night
continuously all over the globe. Unlike the thick lower
atmosphere, the thermosphere has no thermal inertia.
The winds simply blow continuously, acting as a huge
atmospheric thermal tide. Speeds of 200m s�1

(720 kmh�1) are not uncommon. It is very hard to
move the plasma across the magnetic field lines, but
such winds easily move the ionosphere up and down
themagnetic field lines.AtArecibo, the directionof the
magnetic field is at an angle of 451 to the vertical
(pointing northward and downward). When the
wind blows southward, the ionosphere moves up-
ward, much like a ping-pong ball held up against
gravity on an inclined plane by a hair dryer, as shown
in Figure 5.

At high altitude there is very little neutral gas and
recombination is weak. If the wind ceases or blows
north, the ionosphere falls owing to gravity into
regions where reactions [Va,b and VIa,b] can eat away
at it. Thus a southward wind not only elevates the
ionosphere, but it also keeps it high out of reach of the
losses due to the thermosphere. Some ofwhatwe see at
night in Figure 4 is due to these winds.

Themore abrupt changes in heightmaybedue to the
electrical forces that act on the ionosphere. These
electric fields have associated voltages as high as
200 000V and ionospheric currents as great as
1 000 000A, yielding power levels of 2� 1011W:
more power than any man-made generator on Earth.
Two major generators provide this electrification and
both involve motion of a conductor across a magnetic
field, in exactly the manner by which generators
convert mechanically rotation of machines into elec-
tric energy. The solar wind is the most powerful of the
two, generating hundreds of kilovolts across the
Earth’s polar regions and causing one of nature’s
most spectacular visual displays, the aurora borealis
and aurora australis (see the next section). The second
generator is the motion of the Earth’s atmosphere,
described earlier. Tides, winds, and gravity waves in
the atmosphere all drive currents and generate electric
fields by the dynamo effect. Because the magnetic field
lines behave like conducting wires, the only voltage
easily allowed is across magnetic field lines. Figure 6
illustrates what happens if a single positive particle is
subjected to orthogonal electric and magnetic fields.
Initially, the particle is accelerated parallel to the
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Figure 5 An illustration showing the analogy between the mid-latitude ionosphere on the right, with atmospheric winds pushing the

ionosphere up the magnetic field, and a light object suspended on an inclined plane.

1026 IONOSPHERE



electric field by the force qE. But once it attains a
velocity, the magnetic force, qV3B, deflects it to the
right. Eventually it comes to rest and the cycle starts
over. The trajectory is the same as that of a dot on the
edge of a rolling, nonslipping wheel moving to the
right at a velocity E=B. A negatively charged particle
(electron) starts out in the opposite direction, but is
also deflected to the right, and drifts on average at the
same speed as the positive ions. Since there are equal
numbers of positive ions and electrons there is no net
current, just a net velocity. Above about 150 km,
collisions are so rare that Figure 6 describes the
motion quite well – electric fields are one-to-one
related to the motion of the ionosphere across the
magnetic field lines, whereas winds, gravity, and
diffusion dominate along the direction of themagnetic
field. An eastward electric field over Arecibo, for
example, causes an ðE3BÞB�2 drift northward and
upward at a 451 angle. Some of the abrupt height
changes visible inFigure 4 are due to such electric field-
induced motions.

The abrupt height changes might be temporal or
spatial or a combination of both; it is difficult to tell
with a singlemeasurement. But the fact that red light is
emitted in reactions [Va] and [VIb] allows us to
visualize the plasma in two dimensions. The data in
Figure 7were obtained on the same night using a bare,

back-lit CCD (charge-coupled device) chip illuminat-
ed by a fisheye (all-sky) lens. A narrow (63071nm)
filter was inserted into the path and the chip was
exposed for 90 s. Therewere 1024� 1024 pixels in the
image, which, at a height of 250 km, covers a circle of
1000 km diameter. The image has been corrected for
the lens effects, vignetting, etc., and projected as if the
viewerwere above the Earth looking down rather than
up (hence the map of the Caribbean in its usual
geometry). We see intricate patterns of light and dark
regions, with one of the dark zones positioned right
over the Arecibo Observatory. The ionosphere is
highly structured on this night and is very different
fromwhatwould be predicted if only production, loss,
gravity, and diffusionwere operating. The sequence of
images taken on this night show that the dark bands
surged poleward from well south of Puerto Rico and
then drifted toward the west. This unexpected be-
havior shows we have much to learn about even the
most well-behaved regions of the ionosphere.

Fire and Ice: The High-Latitude
Ionosphere

Other entries in the Encyclopedia discuss the auroras
and the Earth’s magnetosphere at some length. Here

E

B

Ion path

Electron path

Rolling wheel V =
lEl
lBl

Figure 6 In crossed electric andmagnetic fields in vacuum, ions and electrons exhibit the motion shown schematically. The ion path is

specifically shown to be similar to that of a dot on the rim of a rolling wheel.
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we discuss some of the more striking features of the
ionosphere in this region. First of all, the light
emissions we call the auroras also are due to the
impact of energetic particles, primarily electrons, on
the atmosphere. Some of these leak in from the solar
wind, but most are accelerated from the background
plasma at a height near 5000 km above the Earth. The
Earth has its own ‘cosmic ray’ generator, just as do
pulsars, Jupiter, and other magnetized objects in the
cosmos. Figure 8 shows a view of the Earth from
800 km during a spectacular aurora. Close inspection
of the city lights shows that the aurora reached
Madison, WI, and covered most of the Great Lakes
region.

Since intense light must be accompanied by the
production of plasma, the aurora is a highly dynamic
source of the ionosphere wherever and whenever it
appears. Figure 9 gives some insight into its global
character. The view is from 5000 km and shows rings
of light circling the top (and bottom) of the Earth’s

polar regions like a halo. This auroral oval waxes and
wanes in size, sometimes (as seen in Figure 8) reaching
highly populated regions, but usually limited to the
mid-arctic zone.

During certain conditions in the solar wind (when
the interplanetary magnetic field is parallel to the
Earth’smagnetic dipole), the solar wind electric field is
transmitted very efficiently along the Earth’s magnetic
field and throughout both polar ionospheres. Mag-
netic storms often occur at these times and great
auroras result. Since theEarth’smagnetic field is nearly
vertical, near the pole the ðE3BÞB�2 drifts are nearly
horizontal. Thus, two huge circulation cells often
occur in the ionosphere. If the magnetic storm contin-
ues for more than an hour or so, the neutral atmos-
phere can also be put intomotion. It is remarkable that
the coupled solarwind and ionosphere actually put the
Earth’s atmosphere in motion! Heat is also generated

Figure 8 A spectacular view of the eastern half of the United

States during a major auroral display.

Figure 9 The sequence begins at 05:29 UT on 2 April 1982

(upper left image) as the NASA/GSFC spacecraft Dynamics

Explorer 1 first views the auroral oval from the late evening side

of the dark hemisphere at low northern latitudes near apogee (3.65

Earth radii altitude) and then fromprogressively greater latitudesas

the spacecraft proceeds inbound over the auroral oval toward

perigee. The poleward bulge at onset of the auroral substorm is

observed beginning at 06:05 UT (fourth frame). In successive

12-minute images the substorm is observed to expand rapidly in

latitude and longitude. (Photograph courtesy of LA Frank, JD

Craven, and RL Rairden, University of Iowa. Reprinted by

permission of Academic Press from Kelley (1989). Copyright

1989 by Academic Press.)
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by the electric currents, which change the global
circulation.

The polar circulation rips away at the plasma-
sphere, reducing its size and compressing it to lower
latitudes. After the storm and over a few days, the
region refills with cool dense plasma out to about 4
earth radii and 601 magnetic latitude. This altitude–
latitude region is where the solar wind and earthly
wind dynamos have approximately equal control of
the ionosphere–plasmasphere–magnetosphere sys-
tem. During a great magnetic storm the composition
of the thermosphere can be significantly modified,
even worldwide. This creates great negative iono-
spheric storms wherein the ionosphere virtually dis-
appears for a day, even in full sunlight. The
atmosphere changes so much that the Earth acts like
some other planet, one with very little oxygen. The
solar cycle maximum of 2001 has yielded many
exciting scientific discoveries as we continue to
instrument the Earth and its surrounding near-space
regions. We also expect that space weather will
become more relevant to mankind, as discussed next.

Space Weather

There are many aspects of space weather that are
relevant to human habitation, particularly as we
become more dependent on technology and space-

based systems. Some of these aspects involve the
ionosphere and are described here. Others are related
to magnetospheric phenomena, such as the killer
electrons of the radiation belt that create havoc in
satellite systems, and solar proton events that create
severe radiation levels for astronauts building the
International Space Station.

Rapidly changing magnetic fields due to the vast
ionospheric currents flowing in a major auroral event
create electrical voltages at the surface of the Earth,
just as they do in an electrical transformer. Vast power
grids are the perfect detectors of these voltages, which
are unexpected and can thus trigger the unnecessary
shutdown of elements along the grid. During the great
storm of the last solar cycle, the Province of Quebec
went dark for 12 hours because of such a surge. Today
our power grids are even more interconnected, and
predictions of such conditions are becoming both of
more practical importance and of some practical
feasibility. Such predictions are among the first chal-
lenges of the fledgling National Space Weather Pro-
gram in the United States as well as the global
counterpart of this new program.

Some important space weather effects are strictly
due to the Earth’s dynamic atmosphere without help
from the solar wind. The mid-latitude weather dis-
cussed earlier is of this type and is fairly rare. But near
the magnetic equator (where the magnetic field lines
are exactly horizontal), severe convective storms occur
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Figure 10 A space weather radar map showing regions of highly turbulent ionospheric plasma over Peru. The dark regions are
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night after night in some seasons and longitudes. The
ionosphere is so dense at the Equator that such storms
create havoc with communication systems using radio
waves, which must propagate through the ionosphere
from satellite to the ground. In brief, in such storms the
satellite signals ‘twinkle’, just as starlight does passing
through the turbulent lower atmosphere. This creates
deep fades and distortions in satellite signals, which
disrupt communications. The higher the radiowave
frequency, the less does ionospheric turbulence create
problems.However, even at the high frequencies of the
Global Positioning System satellites (41GHz), iono-
spheric effects can occur.

Figure 10 is a space weather radar map obtained
over the magnetic equator near Lima, Peru. The dark
areas reveal where ionospheric turbulence exists. On
this night severe weather erupted just after sunset and
lasted for several hours, its effects extending to over
1000 km altitude. Radio signals propagating through
this region would be seriously degraded.

Summary

We have learned much about the ionosphere since its
discovery near the beginning of the twentieth century,
when Marconi first skipped radiowaves off it all the
way across the Atlantic. The space age rocket and
satellite probes, along with powerful ground-based
radars, have revealed much about its properties. New
things are still being discovered, but we are also
entering an age of prediction. The US National Space
Weather Programhas as a goal the ability to predict the

onset of severe space weather, much as the meteorol-
ogy community has come to predict severe storms in
the lower atmosphere. However, the scale of the
interacting system stretches from the Sun to the Earth
and is much more variable than the solar constant
that directly heats the Earth’s lower atmosphere.
In addition, this vast region of space has few observ-
ing stations, and the challenges of prediction are
enormous.

See also

Dynamic Meteorology: Waves. Electricity, Atmos-
pheric: Ions in the Atmosphere. Global Change: Upper
Atmospheric Change. Magnetosphere. Mesosphere:
Polar Summer Mesopause. Radiation (Solar). Satellite
Remote Sensing: GPS Meteorology. Solar Winds.
Thermosphere. Turbulent Diffusion.
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Introduction

Atmospheric motions are generally three-dimension-
al; air parcels change altitude (and pressure) as they are
advected by the winds. Since vertical velocities asso-
ciated with large-scale motions tend to be small, and
are not directly observed, the computing of the
trajectories of air parcels utilizing conventional mete-
orological analyses on isobaric surfaces is a difficult
task. Isentropic analysis seeks to simplify the
calculation of air parcel trajectories by utilizing the
fact that, outside regions of active precipitation,
large-scale motions in the atmosphere are quasi-

adiabatic. Thus, changes in the internal energy of
air parcels owing to exchange of heat with the
surroundings are small compared with changes asso-
ciated with adiabatic expansion or compression
caused by pressure changes. Air parcels moving
adiabatically are confined to isentropic surfaces.
Analysis of the motion relative to isentropic surfaces
then reduces the three-dimensional problem of trajec-
tory analysis to a problem of two-dimensional parcel
advection on the isentropic surfaces. For this reason,
isentropic analysis has become apopular technique for
analysis of the transport of long-lived trace constitu-
ents. The method is especially useful in the strato-
sphere where the flow can often be considered to be
approximately adiabatic for time scales of a week or
longer.
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Isentropic Coordinates

The first law of thermodynamics for adiabatic condi-
tions can be expressed as

D

Dt
ðcp ln T � R ln pÞ ¼ 0 ½1�

whereR, cp, p, andT stand for the gas constant for dry
air, the specific heat at constant pressure, the atmos-
pheric pressure, and the temperature, respectively.
If this expression is integrated from a state at pre-
ssure p and temperature T to a state with pressure
ps � 1000 hPa, the temperature becomes

y ¼ Tðps=pÞR=cp ½2�
The quantity y in this expression is referred to as the
potential temperature. It represents the temperature
which an air parcel located anywhere in the atmos-
phere would acquire through adiabatic compression a
pressure of 1000 hPa. Thus, as long as the motion is
adiabatic, potential temperature is conserved follow-
ing the motion, and surfaces of constant potential
temperature represent isentropic surfaces.

Normally, potential temperature increases mono-
tonically with height and thus can be used as an
independent vertical coordinate just as pressure is used
as a vertical coordinate in standard synoptic analysis.
When the equations of motion are transformed into
the isentropic coordinate system (with y as the vertical
coordinate) the horizontal pressure gradient force is
represented by the horizontal gradient of a quantity
called the Montgomery stream function, defined as
C � cpT þ F. Thus,

� 1

r
rp ¼ �rC

where the gradient of C is evaluated by taking the
partial derivatives with y held constant.

In isentropic coordinates an infinitesimal control
volume of horizontal cross-section dA and vertical
extent dy has a mass dM ¼ r dA dz ¼ s dA dy, where
s � �g�1qp=qy is the ‘density’ in ðx; y; yÞ space (i.e., it
is the quantity that when multiplied by dAdy gives
the mass dM. For adiabatic motions s satisfies the
equation

qs
qt

þry . ðsVÞ ¼ 0 ½3�

Thus,s is changed locally only if there is a convergence
or divergence of the mass flux in an isentropic layer of
infinitesimal depth.

Motions on isentropic surfaces are governed by
conservation of potential vorticity, defined as
P � ðzy þ f Þs�1, where zy is the vertical component

of relative vorticity evaluated on an isentropic
surface, and f is the Coriolis parameter. For adiabatic
motions P is conserved following the motion on y
surfaces:

q
qt

þ V .ry

� �
P ¼ 0 ½4�

Applications

In practice, isentropic analysis requires interpolation
of meteorological fields from isobaric surfaces, on
which upper-air data is normally reported, to surfaces
of constant y. A latitude–height section showing the
relationship between isentropic surfaces and isobaric
surfaces is given in Figure 1. In the troposphere
the isotherms slope downward toward the poles,
because temperature decreases with height and with
latitude. The isentropic surfaces, on the other
hand, slope upward toward the poles in the tropo-
sphere. This slope is substantial, especially in the
winter hemisphere. Note also that for potential
temperatures between about 300 and 350K, the
isentropic surfaces cross the tropopause, so that air
can be exchanged between the low-latitude tropo-
sphere and the extratropical lowermost stratosphere
through adiabatic motions. In the stratosphere there is
a downward slope of the isentropes from the equato-
rial region to the polar region in the summer hemi-
sphere and to the midlatitudes in the winter
hemisphere. The flattest y-surface tends to occur
near the 350K level.

Isentropic coordinates have occasionally been used
in weather forecast models and global climate models.
However, partly because of the complexity of the
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the tropopause. (Reproduced with permission from Holton JR,
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boundary condition where y-surfaces intersect the
ground, the use of isentropic coordinates in numerical
models has been rather limited.

Isentropic analysis is particularly valuable for
studies of trace constituent transport in the strato-
sphere. Radiative heating and cooling are the
only significant diabatic processes in the stratosphere.
The time scale for radiative temperature adjust-
ments is of order 3 weeks in the lower stratosphere
and 1 week in the upper stratosphere. Thus, for
time scales of a week or so motions in the lower
stratosphere can be approximated as adiabatic, and
long-lived trace constituent transport can be approx-
imated by the transport along the isentropes.
An example of isentropic analysis is shown in
Figure 2. The figure compares satellite obser-
vations of nitrous oxide with predictions based on
8-day trajectory calculations. In general the trajectory
model captures the changes in the hemispheric distri-
bution of nitrous oxide during each of the 8-day
periods. If accurate heating and cooling rates are
available then the motion of trace constituents
through isentropic surfaces canbe included to improve
the results of such trajectory studies. Isentropic anal-
ysis is likely to remain a preferred methodology for
interpretation of atmospheric trace constituent obser-
vations.

See also

Dynamic Meteorology: Overview. Middle Atmos-
phere: Transport Circulation. Stratosphere–Tropo-
sphereExchange:Local Processes.Thermodynamics:
Moist (Unsaturated) Air.
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Figure 2 Synoptic maps of the nitrous oxide mixing ratio on the

465K potential temperature surface. The left column shows

observations from the Cryogenic Limb Array Etalon Spectrometer

(CLAES) on the Upper Atmosphere Research Satellite and the

right column shows predictions based on trajectories initialized on

14 February 1993. Solid contours on observational plots show

potential vorticity contours. Note that the trajectory calculations

maintain the observed low nitrous oxidemixing ratios in the interior

of the polar vortex as the vortex rotates and becomes elongated.

(Courtesy of Dr Gloria Manney; adapted from Manney GL, Zurek

RW, Lahoz WA, et al. (1995) Lagrangian transport–calculations

using uars data. Pt 1. Passive tracers. Journal of the Atmospheric

Sciences 52: 3049–3068.)
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Introduction

Chemical reactions and phase transitions induce small
but measurable changes in the stable-isotope abun-
dances of the elements in atmospheric gases and
chemical compounds in aerosol. These natural varia-
tions do not affect chemistry or transport but their
investigation can deepen our understanding of certain
atmospheric processes. The most important underly-
ing principles are that different sources of trace gases
havedifferent isotopic signatures, and that the isotopic
compositions of trace substances are changed by their
removal processes. Application of isotopic analysis in
atmospheric chemistry has revealed a rather wide-
spread class of new isotope effects, the causes of which
are not yet understood. Analytical progress has been
rapid and nowadays very small quantities of subs-
tances can be analyzed rapidly, thus turning isotope
analysis into an increasingly useful tool in the atmos-
pheric sciences.

Notation

With the exception of hydrogen, variations in stable-
isotope ratios occurring in nature usually amount to
only several percent. Therefore, the isotope abun-
dances for a particular element are expressed on a
relative scale that is defined by one or more standard
reference materials. For a given sample (SA), the
isotopic value relative to the standard material (ST) is
given in parts per thousand (%); using carbon-13 as an
example with R ¼ 13C=12C, eqn [1] gives the relative
isotopic value.

d13C ¼ RSA

RST
� 1

� �
�1000 ½1�

This definition is based on the ratio of theminor to the
more abundant isotope. It excludes the use of molec-
ular ratios, so that, for instance, d13CH4 is not defined
in the literature; thus the notation d13C(CH4) is
unambiguous. For the deuterium content of a sample
ofmethane the appropriate equation corresponding to
eqn [1] is used. The molecular ratio in the sample,
(CDH3)/(CH4),will be four times larger.Given the low
abundance of deuterium, the fraction of methane
molecules with two or more deuterium atoms is

negligible. Note that atmospheric methane inciden-
tally has an excess of deuteriumowing to releases from
heavy-water nuclear power plants. Its multideuteri-
um-substituted isotopic composition is peculiar and
nonrandom and of little practical use.

For any two reference materials A and B,
the conversion for a sample X is made according to
eqn [2].

1þ dAðXÞ ¼ 1þ dBðXÞ
1þ dBðAÞ ½2�

For mixing a molar fraction f having a delta value da
into a reservoir with db, the resulting isotopic compo-
sition will be given by eqn [3].

dr ¼ fda þ ð1� f Þdb ½3�
For convenience, the isotopic abundance of the
elements most used in atmospheric studies are given
in Table 1.

Reference materials for isotopic analysis are avail-
able from the International Atomic Energy Agency
(IAEA) in Vienna, and the National Institute for
Standards and Technology (NIST) in Gaithersburg,
MD, USA.

Measurement

Measurement is in most cases based on mass spect-
rometry, by which a precision of up to 0. 01% can be
achieved. This is ample for all atmospheric applica-
tions.The isotopic composition of a sample, at times in
micromole quantities, is repeatedly compared to that

Table 1 Minor isotope abundances

Element Minor isotopes (%) Main reference materials

H 2H or D: 0.15 V-SMOWa

C 13C: 1.11 V-PDBb,c, NBS-19c

ðd13C ¼ 10:95Þ
N 15N: 0.37 Atmospheric N2

O 17O: 0.037
18O: 0.204

V-SMOW, or

atmospheric O2

S 33S: 0.76 CDTd

34S: 4.22
36S: 0.014

Cl 37Cl: 24.47 Not available

Br 81Br: 49.46 Not available

aVienna-Standard Mean Ocean Water.
bOriginal material exhausted.
cCalcium carbonate.
dTroilite phase of the Canyon Diablo meteorite.
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of a mass spectrometer standard under near-identical
conditions. The analytical principle is electron impact
ionization, magnetic separation and focusing, and
Faraday collectors. Conversion to the appropriate
referencematerial is basically done using eqn [2], after
ion current corrections have been made. For in-
stance for CO2, mass 45 represents a combination of
13C16O16O plus 12C17O16O. A recent development
has revolutionized atmospheric applications. Instead
of transferring the samplematerial under high vacuum
into the mass spectrometer, a flow of helium is used as
carrier gas. This has allowed the coupling of a gas
chromatograph,which can separate atmospheric trace
gases from the air matrix, with the mass spectrometer.
One advantage is that nanomole quantities can be
analyzed. The other is that the speed of analysis is
increased and automation is straightforward. This
on-line analysis already accounts for most of the
atmospheric applications. It is expected that the
number of isotope-based atmospheric studies will
increase rapidly because the analytical effort has
become comparable to the abundance measurement
of, for instance, hydrocarbons.

In a few cases, optical techniques are used. Tunable
diode laser absorption spectroscopy (TDLAS), for
instance, allows comparison of absorption by CDH3

andCH4. The advantage is that no sample preparation
is necessary: the methane simply has to be separated
from air. When using mass spectrometry, the methane
has first to be chemically converted to CO2 and H2. A
TDLAS instrument has been used in aircraft measure-
ment of water vapor isotopes. Occasionally Fourier
transform Infrared (FTIR) spectroscopy is used for
laboratory measurement of CO2 and N2O is-
otopomers. Optical techniques have the major advan-
tage that remote sensing is possible. Infrared
spectroscopy is used for stratospheric water vapor
and ozone isotope measurements.

Kinetic and Equilibrium Isotope
Effects

A distinction is made between kinetic and equilibrium
isotope effects, as for water vapor in contact with the
liquid in an enclosed volume. The depletion of the
vapor in D and 18O can be calculated on the basis of
the vapor pressure differences.WhenCO2 is in oxygen
isotopic equilibrium with H2O, its 18O content at
251C is 41% above that of thewater. This effect can be
calculated like most other (thermodynamic) equilib-
rium effects, using statistical mechanics and the
partition function.

A kinetic isotope effect also occurs during net
evaporation of water. In the absence of turbulent

mixing in the air above the liquid, the depletion of the
water vapor is determined by the difference in diffu-
sion speeds of the isotopically substituted molecules
(isotopomers), and can be calculated readily.

Kinetic isotope effects are common in chemical
reactions. The heavier isotopes have stronger bond
strengths, and heavier molecules react more slowly.
Here the calculations are more difficult and transition
state theories with several refinements, including
tunneling effects, are often used. For the atmospher-
ically relevant reaction between chlorine radicals (Cl)
and CH4, calculations are based on the intermediate
complex Cl–HCH3. The theory and experimental
results do not always conform. The systematics of
isotope substitution for the reactions of CH4 is-
otopomers with OH and Cl are shown in Table 2.
Note that the reaction rate constants are determined
by the large difference between the reactivity of D
compared to H. For Cl the reaction rate constant is
almost entirely determined by the degree of substitu-
tion because the reaction rate for D is much smaller.
For atmospheric applications, the overall reaction
rates are used. Thus,whether, for instance,DCl orHCl
is the product is not of importance.

The fractionation factor k (or a) is defined as the
isotopic ratio in one compound or phase relative to
that of the other. No strict convention is in operation.
Oftenwater vapor is assayed relative to the liquid, and
ko1, (i.e., depletion). The accompanying fraction-
ation constant e is defined as a� 1. For kinetic isotope
effects (KIE), the fractionation factor is the ratio
between the reaction rate constants for the minor and
major isotopomers. In most cases a will be positive as
molecules substituted with the heavier isotopes gener-
ally react more slowly. A notable exception is CO, for
which C18O reacts more rapidly with OH than does
C16O, and accordingly ao1. The various isotope
fractionation processes of relevance to atmospheric
processes are shown in Table 3.

Mass-independent Fractionation

Stable-isotope investigations in the atmosphere have
revealed one or more types of fractionation processes
that are not yet understood and have been pooled

Table 2 Reaction rate constants at 298K in 10� 15 cm3

molecules�1 s� 1

Cl OH

CH4 100 6.4

CDH3 74 5.2

CD2H2 46 3.4

CD3H 23 2.1

CD4 6 0.9
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under the name ‘mass-independent fractionation’
(MIF). The rationale for this name was that the effect,
first observed for ozone (O3), was attributed to
molecular symmetry effects, totally independent of
mass. Retrospectively, the name is an unfortunate
choice, but it is often used along with the expression
‘anomalous fractionation’. Because of its practical and
fundamental importance, MIF is discussed here.
Figure 1 shows the relationship between d17O and
d18O for a wide range of substances. The slope of the
mass-dependent fractionation line thus defined is close
to 0.52. The theoretical basis for this correlation using
statistical mechanical calculations is well understood.
For instance, the equilibration constant for an isotope
exchange reaction is proportional to the vibrational
frequencies, and therefore the reciprocal masses. For
diatomic molecules for O isotopes (18O, 17O and 16O)
one obtains ð1=16� 1=18Þ=ð1=16� 1=17Þ ¼ 1:89,
the inverse giving 0.53. In fact, because of this
omnipresent strict mass dependence, almost no atten-
tion has been paid to the analysis of 17O in oxygen-
containing compounds for several decades. Atmos-

pheric research has changed this; recently MIF has
been detected for O3, CO2, CO, N2O, H2O2, SO4

2� ,
and even O2. A measure for MIF is the excess in 17O
expressed as: D17O ¼ d17O� 0:52 d18O.

Atmospheric Applications

General

Isotope effects do not affect atmospheric chemistry
under most circumstances. The reasons are that
isotope effects are nearly always small, in the percent
range, and the abundances of the minor isotopes are
low. Even though the isotope effects for deuterium
may be large because of the large relative mass
difference, its low abundance (Table 1) excludes
effects on chemistry. For chlorine, the less-abundant
isotope is comparatively rather abundant, but here
fractionation effects of only a few percent do notmake
much impact on chemistry. Thus, in general, isotope
effects are useful as tracers but have no direct
implications.

Given a certain atmospheric trace gas, isotopic
variations are due to two factors. One is the isotopic
composition of its sources. In principle, the relative
source strengths can be calculated using eqn [3],
provided there are only two isotopically distinct and
well-defined sources. The other factor, which disturbs
this simple picture, is isotope fractionation in the
removal of the gas; however, this does give informa-
tion about the degree of removal. If one sink has a
distinctly stronger fractionation, its impact can be
detected and, under certain conditions, quantified.

For an isolated, well-mixed amount of gas being
depleted by a loss process (e.g., reaction with OH or
photolysis), the isotopic composition will evolve in
time according to a Rayleigh distillation process.
Using m=m0 as the ratio of the actual to the initial
mixing ratio, eqns [4a] or [4b] apply.

dþ 1 ¼ m

m0

� �ð1�1 =aÞ
½4a�

d ffi 1� 1

a

� �
l

m

m0

� �
½4b�

Ozone, O3

Ozone has been analyzed in situ optically and by
balloon-borne mass spectrometry, and via sample
collection. Ozone is formed via Oð3PÞ þO2 þM !
O3 þM and has a remarkable isotopic composition
throughout the atmosphere. It is considerably
enriched in 18O relative to molecular oxygen by

Table 3 Fractionation processes

Process Example

Phase change Evaporation

Diffusion CO2 in leaf stomata

Dissolution CO2 in water

Gravitational settling Ice core studies

Atmospheric escape H2

Chemical reaction CH4 1 OH

Photolysis N2O
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70–110% and by almost the same amount in 17O. In
fact, D17O ffi 33%. No other substance known on
Earth has this degree of excess of 17O. Via this mass-
independent enrichment (the excess 17O), certain
other trace gases (e.g., stratospheric CO2) exhibit
MIF. The cause for the complex isotopic anomaly of
O3 is only slowly becoming understood. The reaction
rate constants for permutations of the isotopes, and
their temperature and pressure dependence, have been
measured (examples are given inTable 4). Despite the
many experimental data, there is not yet a theoretical
explanation.

The isotopic composition of stratospheric O3 has
also been debated because some extreme enrichments
have been reported, though these have not been
confirmed. Improved measurement of O3 collected
from the stratosphere up to 35 km shows that d18O is
between 70% and 110%. Laboratory experiments
show that this range of d values corresponds to
temperatures of 270–200K. Thus, the enrichment of
stratospheric ozone is a measure of temperature.
Similar results are obtained using 17O. Tropospheric
O3 has been collected and analyzed in an urban
environment: the d18O values ranged between 80%
and 100% and were not correlated with the mixing
ratios between 5 and 90nmol/mol. The delta values
agree with laboratory experiments.

Carbon Dioxide, CO2

Troposphere

Quantifying fluxes of CO2 between the terrestrial
carbon reservoirs is of great importance, and isotopic
analysis is useful for this. The combustion of fossil
fuels has decreased d13C of atmospheric CO2 from a
preindustrial value of about � 6% to presently about
� 7.8%V-PDB. The preindustrial value is determined
by the equilibrium fractionation (� 9% at 151C)
between gaseous CO2 and ocean bicarbonate
13C ffi 2%). The fractionation associated with the

net flux into the terrestrial biosphere, which favours
12COover 13COby about 25%, is compensated by the
return flux. The bicarbonate is buffered by the large
carbonate reservoir. The activity of the biosphere,
which is dominated by the Northern Hemisphere
biota, induces a seasonal cycle of up to 1% at high
northern latitudes at the surface. The seasonal mini-
mum is in spring when CO2 from respiration, oxida-
tion, and fossil fuel emission have peaked. Fossil fuels,
and plant organic matter have d13C values that
average approximately � 25%. To what degree the
effect of ElNiño can be extracted from the twoor three
globally accurate isotope time-series is debated, but
dissolution into the oceans depends on temperatures
and wind and causes a small fractionation. NIST has
produced gaseous standards for the required high-
precision isotope analysis of atmospheric CO2. A
useful application of d13CðCO2Þ has been the identi-
fication of a large Northern Hemispheric terrestrial
carbon sink in 1992 and 1993.

18O(CO2) is determined by the exchange with the
main water reservoirs. Isotopic exchange with cloud
droplets is far too slow in comparison to the atmos-
pheric residence time ofCO2.No exchangewithwater
vapor is possible because bicarbonate formation is
required. However, exchange with soil water, leaf
water, and ocean water is important. In this, CO2

strives toward isotopic equilibrium accompanied by a
temperature-dependent enrichment of about 40%.
Accordingly, the d18O value of CO2 is close to 40%
(V-SMOW, Vienna-Standard Mean Ocean Water).
Note that the standard V-SMOW-CO2 is often used,
thus giving a value of near zero. Because leaf water is
enriched owing to the equilibrium and kinetic isotope
effects accompanying stomatal evaporation, CO2 in
equilibrium with leaf water is more strongly enriched.
The 18O isotope effect of emission ofCO2by fossil fuel
combustion (18O5 23.5%) has only a small influence
owing to the size of other large exchange fluxes.When
CO2 from two sources is mixed, each with a given
18O/16O ratio, one can calculate the (low) abundance
of C18O18O. This calculated ratio does not necessarily
correspond with the real C18O18O ratio, because it
would require scrambling of 18O between the CO2

molecules, which does not occur (no gaseous ex-
change). Analytical problems in determining the ratio
of C18O18O to C16O16O have prevented practical
application of this generally overlooked effect.

Stratosphere

The seasonality of d13C and CO2 mixing ratios
propagates with delay and attenuation into the stra-
tosphere. This allows accurate stratospheric measure-
ments to be used as a clock. In the stratosphere, CO2

Table 4 Relative reaction rates for the formation of ozone from
16O(O), 17O(P), and 18O(Q)

Reaction Relative rate

O1 OO 1

P1 OO 1.03

Q1 OO 0.93

O1 PP 1.23

P1 PP 1.02

Q1 PP 1.03

O1 QQ 1.53

P1 QQ 1.31

Q1 QQ 1.03
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acquires MIF from O3 via quenching of O(1D),
according to O3 þ hn ! O2 þOð1DÞ followed by
Oð1DÞ þ CO2 ! CO3n ! Oð3PÞ þ CO2. D17O in-
creases accordingly from zero to 14%. This interesting
signal is a new gaseous tracer for air entering the
troposphere from the stratosphere, such as O3 and
14CO.

Water, H2O

Troposphere

The International Atomic Energy Agency coordinates
the global monitoring of the isotopic composition of
precipitation for hydrological applications (isotope
hydrology). There are large seasonal and geographical
differences. Water evaporating from the oceans is
depleted, but the condensing water is again enriched
relative to the vapor. With increasing distance into the
continents, D and 18O decrease (distance effect)
following the mentioned Rayleigh fractionation.
With increasing latitude and decreasing temperatures,
vapor and precipitation cause further depletion. In
Antarctica, dD can be as low as � 400%, and d18O
reaches –50 %. Isotopic analysis of ice cores is one of
the main tools in paleoclimatology. Global precipita-
tion D and 18O isotope values define the ‘meteorolog-
ical water line’ dD ffi 8d18Oþ 10%. Hailstones have
been assayed layer by layer for study of their formation
process. Relatively little attention has been paid to
tropospheric water vapor analysis.

Stratosphere

Because of the many roles of atmospheric water
through latent heat, cloud albedo, heterogeneous
chemistry, and the radiation budget, efforts are made
to use isotopic analysis. In the stratosphere, gas-phase
chemical interactions affect the isotopic composition.
Through cooling and concomitant condensation, wa-
ter vapor reaching the tropopause attains dD ¼
�670% and d18O ¼ �82%. During transport into
the middle atmosphere, isotope exchange and addi-
tion of H2O from methane oxidation take place.
Exchange of oxygen is via the HOx family of reactions
involving oxygen and ozone. These processes enrich
the isotopically depleted vapor imported from the
troposphere. Above 40 km, dD reaches about
� 400%, and stays constant at that level. d18O
increases by as much as 100%. There is a clear
deviation from the meteoric water line. Furthermore,
stratospheric H2O obtains MIF largely from O3 via
HþO3 ! OHþO2 and the subsequent hydrogena-
tion of OH. The oxygen isotope exchange between
OHandH2Ohas a rate constant of 6� 10� 17cm3 s�1

at 250K and plays no significant role. d17O increases
from zero at the tropopause to 10% at 40 km.

Methane, CH4

The isotopic compositions of atmospheric methane
and its sources are shown in Figure 2; a large depletion
is observed. The actual atmospheric composition
deviates from the average source composition because
of the isotopic fractionation mainly in the sink
reaction of CH41OH. Also, the smaller soil sink
tends to enrich the methane that is left in the
atmosphere. Note the large difference for deuterium.
Despite the considerable spread in the source values,
inverse modeling using the isotopic composition has
helped to further constrain the methane budget. Both
d13C and dD show seasonal cycles with a total
amplitude of approximately 0.5% depending on
latitude and can be resolved with difficulty. There are
presently few data on deuterium available, but the
advances in isotope mass spectrometry that have been
mentioned will change this. Interannual variations in
the Southern Hemisphere have been associated with
biomass burning.Moreover, at times small increases in
d13C have been detected that were attributed to the
reaction of Cl 1 OH; as Table 5 shows, this reaction
has a characteristic large 13C kinetic isotope effect.
The strong increase in atmospheric CH4 induced an
isotopic disequilibrium in which the isotopic compo-
sition came closer to that of the averaged source.
Analysis of CH4 extracted from firn air reveals a clear
minimum dD value about 75 years ago. After a
weakening in the increase of CH4 over the last decade,
the equilibrium was approached more closely and dD
increased again.

Stratospheric chemistry produces large isotope
changes in CH4 because of the greater role of Cl and
O(1D) as sinks. Table 5 shows that O(1D) has a large
isotope effect, which was not expected on the basis of
the rapid kinetics of this reaction. The isotopic
composition of CH4 in the stratosphere can be
successfully modeled using a 2Dmodel, incorporating
the fractionation factors fromTable 5. Such results are
of further use for calculating dD of H2O and d13C of
CO.

Hydrocarbons and Methyl Chloride

The recent introduction of coupled gas chromatogra-
phy–isotope mass spectrometry has allowed the anal-
ysis of nanomole amounts of substances, bringing the
low-abundance trace gases within reach of isotopic
analysis. Values obtained for ethane, ethene, and
propene in background air in New Zealand yielded
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d13C values of � 22% to � 29%, which is typical for
organic matter.Methyl chloride was strongly depleted
at � 43.5%. Samples collected south of Japan,
between 51 and 351N showed the following d13C
values: ethane, propane, n-butane, n-pentane, i-bu-
tane, and i-pentane between � 30 and � 23%; ethyl-
ene and propylene between about � 30 and � 10%;
acetylene between � 20 and � 2%; methyl chloride
between � 40 and � 30%.

Carbon Monoxide, CO

The shorter lifetime of CO results in larger concen-
tration and isotopic changes (Figure 3). Concer-
ning source signatures, CO from high-temperature
combustion processes adopts the d18O value of
atmospheric oxygen (123.5%), without much frac-
tionation. This gives a useful clear signal for the
technological source. Also distinctive is the low d13C
value of COderived fromCH4 oxidation. This value is
believed to be about � 51%, composed of the � 47%
of CH4 further lowered by the kinetic fractionation of
4% in CH41OH (Table 5). There are problems in
closing the isotope budget for 13CO in the Southern
Hemisphere using this information, because atmos-
pheric d13C(CO) values appear rarely to fall below

� 32%. One has to assume either that additional
isotope fractionation occurs in the formation of CO
from the photolysis of formaldehyde, or that the yield
of CO from CH41OH, is lower than the generally
accepted 85%. For 13C there is a pressure effect. The
KIE maximizes at 5% at 1013 hpa, and turns into a
negative effect at 300 hpa. The annual average d13C
value in the Southern Hemisphere is approximately
� 29%; in themid-latitude Northern Hemisphere it is
� 27%. The annual cycles are dominated by the CH4

source effect, not the KIE of CO1OH.
For 18O there is a negative isotope effect of nearly

� 10%, almost independent of pressure. Generally,
the farther away from CO sources, the more negative
the d18O becomes, reaching � 10% in the lowermost
stratosphere. There are only few stratospheric data for
CO, but air samples collected during ozone hole
conditions in the Antarctic lowermost stratosphere
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Table 5 Kinetic isotope fractionation factors (KIE) for reaction

with CH4 at 296 K

13C D

OH 1.004 1.294

Cl 1.065 1.50

O(1D) 1.013 1.06
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yielded CO with d13C as low as � 43%. Modeling
confirmed that CO from CH41Cl was the cause of
this. Another application of the large KIE in CH41Cl
is the estimation of free chlorine during Arctic low-
ozone events at the surface. Small downward excur-
sions in d13C(CO) were observed during such events.

AfterMIF had been detected forO3 andCO2, it also
was discovered inCO.MIF inCOhas two causes.One
is that unsaturated organic compounds react with O3.
CO from these reactions is a small source of CO
enriched in 18O and exhibiting MIF derived from O3.
However, themain cause lies in the important reaction
CO1OH-CO21H. Assuming for the moment that
C18O reacts 10% faster than C16O, C17O should react
about 5% faster if the normal widespread mass-
dependent fractionation applies. In contrast, C17O
reacts nearly as rapidly asC16O.This then results in an
excess of 17O in atmospheric CO. There is not yet a
theoretical explanation for MIF in CO. Because all
major CO sources are mass-dependent, d17O(CO) is a
unique signal indicating the ‘aging’ of CO by reaction
with OH.

Nitrous Oxide, N2O

Despite its long lifetime and concomitant small
isotopic and abundance variability, the isotopic com-

position of N2O has been studied intensively. The
d15N and d18O values of tropospheric N2O show little
scatter around approximately 7% and 21% relative to
atmospheric N2 and O2, respectively. The main
sources of N2O are based on microbial nitrification
and denitrification in soils and the ocean, and are
generally depleted relative to the atmosphere. The
range of d values is considerable. Soil gases form the
most depleted source type, with averages of about
� 13% and 10%, respectively. A source identified
with enrichment was N2O from denitrification in
upwelling deep water in the Arabian sea. Enriched
N2O was also found in the Pacific. These sources do
not account for the atmospheric enrichment. The
enrichment of atmospheric N2O has been explained
on the basis of its main stratospheric sink, i.e.,
photolysis. N2O that escapes photolysis and is reim-
ported into the troposphere causes enrichment relative
to the average sources. Theory and experiment of
photolysis show a qualitative agreement. Photolysis
experiments over the entire range of wavelength of
interest still has to be performed. Analysis of strato-
spheric N2O samples confirms that enrichment in-
creases with altitude.

Increased interest in N2O was sparked by the
awareness that in this linear molecule, NNO, frac-
tionation through photolysis is not identical for the
two different N atoms. Instrumental innovation in
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mass spectrometry now allows the detection of the
isotopic ratios for both positions using only small
amounts of sample. Figure 4 shows the result of
N2O photolysis at 193 nm for 15N. The fraction-
ation factors for 15N14NO and 14N15NO are
10.9% and 35.7% respectively. Thus 14N15NO is
less likely to be photolyzed. The same applies for
14N14N18O, for which at this wavelength the frac-
tionation factor is 17.3%. For the other important
stratospheric reaction, O(1D)1N2O, only few data
are available.

Possible gas-phase sources of N2O have been
proposed in the literature, and the occurrence of
MIF, albeit at a low level ðd17O ffi 1%Þ, has intensified
this interest. No confirmation has been provided, and
the cause of MIF in N2O remains unknown.

Molecular Oxygen, O2

In view of the sheer size of this reservoir, no usable
isotope effects were originally contemplated to occur.
Notwithstanding, it has been established that even
atmospheric oxygen itself possesses a small degree of
MIF, d17O ¼ �0:15%, which offers interesting appli-
cations. The 18O isotopic enrichment of O2 relative to
ocean water (V-SMOW) is 23.5%. The cause for this
enrichment is well understood. Respiration processes
in plants and soils favor the use of the lighter of the
isotopic O2 molecules. In addition to this is that the
leaf water in plants, which forms the substrate for the
oxygen appearing in photosynthetic products, is
enriched. These processes keep atmospheric oxygen
enriched relative to the very large reservoir of terres-
trial water. Because of this exchange between the
large terrestrial water reservoir and atmospheric

O2, its isotopic composition should be strictly mass-
dependent.

However, a very small fraction ofO2 is continuously
converted to O3, which exhibits MIF. Thus a small
excess of 17O is withdrawn. In the stratosphere, this
MIF signal is transferred from theO3pool viaO(1D) to
become incorporated into CO2. The ensuing step
in the process is that CO2 reenters the troposphere,
where it isotopically exchanges with H2O. In this
way, CO2 loses its MIF signature continuously to the
large reservoir of H2O. Another process transferring
MIF is the reaction O(1D)1H2O, which also leads
to a net loss of 17O. Both processes remove a small
excess of 17O from the O2 reservoir. Given the long
lifetime of atmospheric oxygen of roughly 1000 years,
it acquires a deficit of 17O, resulting in the value
d17O ¼ �0:15%. Although this value is small, there
are applications in limnology and oceanography in
which atmospheric oxygen can be distinguished from
photosynthetic oxygen.

Aerosols

The oxidation of SO2 by O3 or H2O2 in the liquid
phase leads to a small degree of MIF in atmospheric
sulfates. This can possibly be applied to trace the
oxidation pathway of SO2. There is one report of
H2O2 possessing MIF, for which the reason is not
known. Sulfur isotope measurements on marine sul-
fate aerosol particles support the hypothesis that
dimethyl sulfide can be a source of non-sea-salt sulfate.
Some research has also been dedicated to chlorine
isotopes in aerosols.

See also

Aerosols: Physics and Chemistry of Aerosols. Carbon
Dioxide. Evolution of Atmospheric Oxygen. Evolu-
tion of Earth’s Atmosphere. Global Change: Ozone
Trends. Land–Atmosphere Interactions: Trace Gas
Exchange. Methane. Planetary Atmospheres: Jupiter
and the Outer Planets; Mars; Venus. Stratospheric
Ozone Recovery. Stratospheric Water Vapor. Trop-
ospheric Chemistry and Composition: Carbon Mon-
oxide.
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Introduction

Jet streaks, defined as localized wind speed maxima
along the axis of a jet stream, are generally found in
association with frontal zones in the upper tropo-
sphere, and together these features are often referred
to as ‘jet–front systems’. In many cases, jet streaks are
also accompanied by a localized downward intrusion
of air from the stratosphere into the troposphere
known as a ‘tropopause fold’. The interest that jet
streaks have attracted in the fields of synoptic and
dynamic meteorology stems from their importance in
the development and behavior of synoptic-scale and
mesoscale weather systems, including extratropical
cyclones and mesoscale convective systems. In addi-
tion to their associationwith theseweather systems, jet
streaks are often implicated with other phenomena
and processes of interest to atmospheric science, such
as clear air turbulence, stratosphere–troposphere ex-
change, and a class of motions referred to as ‘unbal-
anced’ (e.g., inertial and buoyancy oscillations). The
basic structure of jet streaks and the role that these
features play in the evolution of extratropical cyclones
and of mesoscale convective systems are often por-
trayed schematically in terms of conceptual models
that relate jet streaks in various flow configurations to
characteristic patterns of horizontal divergence and
vertical motion. Dynamical interpretation of jet
streaks has proceeded along two lines of thinking: in
the first, referred to as ‘balanced’, it is assumed that a
dynamical relationship constrains the wind and geo-
potential fields; in the second, referred to as ‘unbal-
anced’, no such constraint exists. In the balanced case,
jet streaks may be intepreted either as an integral part
of upper-tropospheric baroclinic waves, in which case
their evolution is controlled by energy dispersion
associatedwith thewave, or in terms of the interaction
between coherent vortices and the jet stream, in which
case their evolution occurs in response to the motion
and evolution of the constituent vortices. In the
unbalanced case, the dynamics are strongly coupled
to a category of buoyancy oscillations referred to as
inertia-gravity waves, which may strongly modulate
weather systems on short time scales.

General Characteristics of Jet Streaks

Jet streaks are observed along the polar-front and
subtropical jet streams in both the Northern and
Southern Hemispheres and can be either mobile or
stationary with respect to the stream in which they are
embedded. Like atmospheric fronts, to which they are
closely related, jet streaks are often significantly
anisotropic, exhibiting disparate length scales in the
along-jet and cross-jet directions, with the former
being up to an order of magnitude larger than the
latter. In the case of the polar-front jet stream, jet
streaks typically have length scales of 2000 km or less
in the along-jet direction and progress eastward
through the meanders of the stream. Some polar-front
jet streaks are observed to translate continuously
along the jet stream, whereas others travel discretely
and appear to jump between the north-westerly and
south-westerly flow inflections of the wave pattern in
the stream. In the case of the subtropical jet stream, jet
streaks possess along-jet length scales of 4000–
8000 km and tend to be approximately stationary
and located in the ridges of the wavelike meanders in
the stream.

Jet streaks often play a critical role in the develop-
ment of extratropical cyclones and in the organization
of mesoscale convective systems, and as such have
become an important part of mainstream synoptic
meteorology andweather forecasting. The association
of jet streaks with these phenomena is related to the
observation that the divergence of the horizontal wind
(hereafter, this quantity will be referred to as the
horizontal divergence, while the terms divergence and
convergence will be used to distinguish between
positive and negative values of this quantity, respec-
tively) is frequently large in the vicinity of jet streaks.
The relationship of horizontal divergence in the upper
troposphere to changes in sea level pressure and to
patterns of vertical motion in the middle troposphere
is well known. Indeed, a fundamental principle of
early synoptic meteorology states that the develop-
ment of surface cyclones requires upper-level diver-
gence slightly in excess of lower-level convergence,
which results in a net reduction in mass in the column
and a decrease in the sea level pressure. The vertical
circulations associated with patterns of horizontal
divergence in the upper troposphere may be inferred
using the equation of mass continuity formulated in
pressure coordinates, given by= .V ¼ �qo=qp, where
= is the horizontal gradient operator evaluated on an
isobaric surface,V is the horizontal wind velocity, and
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o is the vertical velocity in pressure coordinates. The
pressure-coordinate vertical velocity is related ap-
proximately to the height-coordinate vertical velocity,
w, via o � �rgw, where r is air density, g is the
acceleration due to gravity, and positive (negative) o
corresponds to downward (upward) motion. The
pressure-coordinate form of the vertical velocity is
adopted for the remainder of this article. Since the
vertical velocity is generally close to zero near the
tropopause, divergence (convergence) in the upper
troposphere will be associated with ascending (de-
scending) motion in the middle troposphere. This
relationship between upper-tropospheric horizontal
divergence and middle-tropospheric vertical motion
will be alluded to frequently in the remainder of this
article.

Although the observed structure and behavior of jet
streaks can vary considerably from case to case,
several properties are common to these features and
are illustrated through the analysis of a jet streak
observed over the north central United States on 3
November 1995. In Figure 1, which depicts the wind
speed and geopotential height fields at 300 hPa, the jet
streak is located in the south-westerly flow inflection
of a synoptic-scale trough–ridge pattern. In this jet
streak, the maximum wind speed is approximately
75m s� 1, and the aspect ratio expressed in terms of
along-jet to cross-jet length scales is approximately 4:1

as determined by the configuration of the 60m s� 1

isotach.
Avertical cross-section through the jet streak under

consideration in the cross-jet direction is shown in
Figure 2, which illustrates the components of a
jet–front system. The tropopause, depicted as the
thick solid line, is defined ‘dynamically’ as the
2 PVU potential vorticity surface (1 PVU5
10�6m2 s� 1K kg� 1). Here potential vorticity, P,
is given by P ¼ �gðqy=qpÞðf þ zyÞ, where f is the
Coriolis parameter, y is the potential temperature, and
zy is the vertical component of the relative vorticity
evaluated on an isentropic surface. In the vicinity of
the jet streak, the tropopause transects the core of
maximum wind speed (i.e., the ‘jet core’) and slopes
steeply, being considerably lower on the poleward side
than on the equatorward side. The downward and
equatorward protrusion of the tropopause into the
middle troposphere beneath the jet streak corresponds
to an incipient tropopause fold. In a well-developed
fold, the tropopause generally exhibits an S-shaped
pattern, such that there is a significant region in which
the tropopause height is multivalued. Above the jet
core, the contours of constant potential temperature
(i.e., isentropes) slope upward. Below the jet core, the
isentropes slope downward, such that the potential
temperature gradient evaluated on an isobaric surface
in this region is locally large. This area of locally
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Figure 1 European Centre of Medium-Range Weather Forecasts (ECMWF) analysis on the 300 hPa pressure surface, valid at 1200

UTC 3 November 1995, depicting wind speed (values greater than 50ms� 1 shaded as indicated) and geopotential height (contour

interval 120m; solid lines).
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enhanced horizontal potential temperature gradient
defines the upper-tropospheric frontal zone, which in
this case extends well into the middle troposphere and
joins with the upward extension of a surface frontal
zone. The fan-shaped pattern of the isentropes ob-
served in conjunction with this jet streak is a conse-
quence of the thermal wind relation, which links the
vertical shear of the geostrophicwind to the horizontal
potential temperature gradient.

Jet streaks in the upper troposphere and their
associated frontal zones can also be preferred loca-
tions for phenomena not normally thought of as
related toweather. In the regions of large vertical shear
above and below the jet streak, the Richardson
number, Ri, defined as Ri ¼ ðg=yÞðqy=qzÞ=jqV=qzj2,
can become small. When this is the case, the flow can
break down into turbulent eddies. Since this break-
down often occurs in regions of background subsid-
ence and relatively cloud-free air, this phenomenon is
generally referred to as ‘clear air turbulence’, which
can be hazardous to aircraft. Moreover, the region of
turbulentmixing tends to be localized in the vicinity of
the tropopause fold, which contains stratospheric air
protruding downwards into the troposphere. In the
region of mixing, the tropopause, which ordinarily
corresponds to a material surface separating strato-
spheric from tropospheric air, is highly porous,
allowing for a vigorous two-way exchange of air
and trace constituents between the stratosphere and
troposphere.

The applicability of the thermal wind relation
referred to above to jet–front systems implies the
validity of geostrophic balance, which will now be
employed in considering the dynamics of jet streaks.
Geostrophic balance is valid to a first approximation
in many jet streaks, such that the so-called ageo-
strophic wind (defined as Vag ¼ V� Vg, the vector
difference between the actual horizontal wind and the
geostrophic wind) is relatively small in comparison to
the geostrophic wind. The magnitude of the departure
from geostrophic balance is quantified by the Rossby
number, Ro, which is defined as the ratio of the
characteristic scales for the velocity acceleration and
the Coriolis force, and is given byRo ¼ V=fL, whereL
andVmaybe taken to be the along-jet length scale and
the maximum wind speed of the jet streak, respective-
ly. IfRo is smallwith respect to unity, the jet streakwill
be in approximate geostrophic balance. In such cases
the so-called quasi-geostrophic system, an approxi-
mation to the full equations of motion valid for small
Ro, provides a useful foundation for understanding
the structure and behavior of jet streaks. In fact, the
quasi-geostrophic system often is applicable under
circumstances beyond the limits of its strict validity, so
that it may be employed qualitatively to interpret the
structure and behavior of jet streaks inwhichRo is not
particularly small. Many of the existing dynamical
concepts regarding jet streaks are based on deductions
derived from the quasi-geostrophic system. Neverthe-
less, sometimes Ro can be so large in the vicinity of jet
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streaks that the quasi-geostrophic system is not even
qualitatively useful. In such jet streaks, unbalanced
motions may be important to the evolution of the
streak and the full equations of motion, also known as
the primitive equations, are required to elucidate the
properties of the flow and the behavior of the streak.

The ageostrophic wind at 300 hPa for the jet streak
under consideration, shown in Figure 3, displays a
four-gyre circulation pattern that is cyclonic upstream
anddownstreamof the jet core and anticyclonic on the
flanks of the streak. Hence, in the region upstream of
the jet core, known as the entrance region, the
ageostrophic wind is directed toward the poleward
(i.e., cyclonic-shear) side of the streak, corresponding
to lower geopotential height; in the region down-
stream of the jet core, known as the exit region, the
ageostrophicwind is directed toward the equatorward
(i.e., anticyclonic-shear) side of the streak, corre-
sponding to higher geopotential height. There is also a
significant along-jet component of the ageostrophic
wind directed upstream, indicating that the actual
wind in this jet streak is sub-geostrophic (i.e., the
actual wind speed in the core of the jet is smaller in
magnitude than the geostrophic wind speed), a prop-
erty that may be related to the cyclonically curved
orientation of the jet streak. Nevertheless, this partic-
ular property is not generic; some jet streaks are
approximately geostrophic in the along-jet direction,
whereas others, particularly those that are anticyclon-

ically curved, may be super-geostrophic. Explanations
for employing the terminology of ‘entrance’ and ‘exit’
with regard to jet streaks and for the presence of sub-
geostrophic and super-geostrophic along-jet flow will
be provided subsequently.

Conceptual Models of Jet Streaks

Since the horizontal divergence is often a small
residual between two larger kinematic quantities
that are nearly equal in magnitude but opposite in
sign, uncertainties arise in calculating the upper-
tropospheric horizontal divergence directly from con-
ventional upper-air data. These uncertainties may be
particularly significant if the jet streak is located in a
data-sparse region, or if the streak is so narrow that the
observational network is unable to resolve accurately
the structure of the streak. Consequently, the horizon-
tal divergence has been inferred using air parcel
arguments applied to the vector momentum equation
and to the vorticity equation, the results of which have
been portrayed schematically in terms of conceptual
models relating horizontal divergence patterns to
various aspects of the structure of jet streaks. Several
well-known conceptual models of jet streaks
are reviewed below: (i) models of straight and
curved jet streaks; (ii) models of jet streaks coupled
with other upper-tropospheric jet streaks or with
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Figure3 ECMWFanalysis on the300hPapressure surface, valid at 1200UTC3November 1995, depictingwind speed (valuesgreater

than 50ms� 1 shaded as indicated) and ageostrophic wind (arrows; vector scale indicated at bottom of diagram).
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lower-tropospheric frontal zones; and (iii) a model
describing the life cycle of a jet streak embeddedwithin
an evolving synoptic-scale baroclinic wave.

Straight Jet Streaks

Perhaps the best known conceptual model of jet
streaks, illustrated in Figure 4, depicts a straight
isotachmaximum inwhich the isentropes are assumed
to be oriented parallel to the jet axis. This conceptual
model is often referred to as the ‘four-quadrantmodel’
because the upstream (entrance) and downstream
(exit) regions of the streak are divided into left and
right regions by the jet axis (with left and right defined

facing downstream). To infer the nature of the
ageostrophic flow and the horizontal divergence in
this and subsequent conceptual models, it is conven-
ient to adopt a natural coordinate representation of
the frictionless vector momentum equation (eqns [1]
and [2]).

vagn ¼ 1

f

DV

Dt
½1�

vags ¼ � KtV
2

f
½2�

Here vagn and vags are the cross-stream and along-
stream components of the ageostrophic wind in a
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Figure 4 Schematic illustration, applicable to the Northern Hemisphere, of ageostrophic circulations and vorticity patterns for a straight

jet streak. (A) Transverse ageostrophic wind components and associated patterns of convergence (CONV) and divergence (DIV) in the

entranceandexit regionsat the level ofmaximumwind. (B)Transverseageostrophic circulations in entrance (cross-sectionA–A0) andexit
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advection, respectively. (FromUccellini LWandKocin PJ (1987) The interaction of jet streak circulations during heavy snow events along

the East Coast of the United States.Weather and Forecasting 2: 289–308. American Meteorological Society, Boston.)
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‘right-handed’ natural coordinate system such that
n ¼ k3 s, s ¼ V=V, V is the horizontal wind speed,
andKt is the parcel trajectory curvature. At the level of
the jet core, the vertical velocity is assumed to be small
and may be neglected; hence the Lagrangian rate of
change D=Dt ð¼ q=qt þ V .=Þmay be defined follow-
ing the horizontal flow.

In general, jet streaks travel at a speed that is slower
than the maximum wind speed in the jet core. Con-
sequently, air parcels travel through the streak, enter-
ing upstream and exiting downstream – hence the
terms entrance and exit regions introduced previously.
An air parcel in the entrance region will experience
increasingwind speed ðDV=Dt > 0Þ, and an air parcel
in the exit region will experience decreasing wind
speed ðDV=Dto0Þ. Since the curvature is negligible
for the straight jet streak depicted in Figure 4A the
along-stream component of the ageostrophic wind is
small (see eqn [2]); the cross-stream component of the
ageostrophic wind is directed from higher to lower
values of geopotential height in the entrance region
and from lower to higher values in the exit region (see
eqn [1]). Away from the jet axis, where speed accel-
erations areweaker, the ageostrophic flowdecreases in
magnitude and thus there is convergence in the left
entrance and right exit regions, and there is divergence
in the right entrance and left exit regions. The vertical
circulations transverse to the jet streak, depicted in
Figure 4B, are thermally direct in the entrance region
and thermally indirect in the exit region. The sense of
these circulations is consistent with the conversion
from potential to kinetic energy required for an air
parcel to increase its speed in the entrance region of the
streak, and with the conversion from kinetic to
potential energy required for an air parcel to decrease
its speed in the exit region.

It is also possible to deduce the patterns of horizon-
tal divergence illustrated in Figure 4A using the
equation governing the evolution of the vertical
component of the relative vorticity evaluated on an
isobaric surface, z, again at the level of the jet core,
given by eqn [3].

= .V ¼ � 1

ðf þ zÞ
Dz
Dt

½3�

In addition to the neglect of the tilting, vertical
advection, and friction terms, the Lagrangian rate of
change of planetary vorticity is here assumed to be
small in comparison to the rate of change of relative
vorticity. As illustrated in Figure 4C, a straight jet
streak exhibits cyclonic relative vorticity on its pole-
ward side and anticyclonic relative vorticity on its
equatorward side. Hence, an air parcel traveling
downstream through the left entrance or right exit

regions will experience an increase in cyclonic relative
vorticity, and an air parcel traveling downstream
through the right entrance or left exit regions will
experience an increase in anticyclonic relative vorti-
city. Equation [3] indicates that convergence is ex-
pected in the left entrance and right exit regions,
whereas divergence is expected in the right entrance
and left exit regions.

The conceptual model shown in Figure 4 assumes
that isentropes are parallel to the jet axis. For many
observed jet streaks, however, this assumption is
overly restrictive and the isentropes are generally
aligned at an angle to the jet axis. The effect of the
resultant along-jet temperature advection on the
patterns of horizontal divergence and vertical motion
accompanying a straight jet streak is illustrated in
Figure 5 for two different alignments of the isentropes
relative to the jet axis. When there is cold advection
along the jet (Figure 5A), the transverse vertical
circulations are shifted toward the equatorward
(anticyclonic-shear) side of the jet streak in the
entrance region and to the poleward (cyclonic-shear)
side in the exit region. Conversely, along-jet warm
advection (Figure 5B) results in a shift of the transverse
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Figure 5 Schematic illustration of geopotential height (heavy
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temperature (thin solid lines) associated with a straight jet streak
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circulations to the poleward (cyclonic-shear) side in
the entrance region and to the equatorward (anticy-
clonic-shear) side in the exit region. As depicted in
these illustrations, these shifts in the vertical circula-
tions can lead to the maximum vertical motions being
located beneath the jet axis, rather than to either side
as in Figure 4. In the cold advection case, such a
configurationmay be important to the development of
tropopause folds, which requires the presence of
significant subsidence localized beneath the jet axis.

Curved Jet Streaks

Although evidence exists supporting the idealized
structure of isolated straight jet streaks such as those
depicted in Figures 4 and 5, jet streaks exhibiting a
four-quadrant pattern of horizontal divergence and
vertical motion are the exception rather than the rule.
The rarity of the four-quadrant pattern is a conse-
quence of the fact that few jet streaks are immune to
the effects of curvature: many jet streaks have curved
axes, and even jet streaks that have straight axes tend
to be embedded in a large-scale jet stream that may
itself be curved. The influence of curvature on the
horizontal divergence patterns associated with jet
streaks may be considered by appealing to the sche-
matic depiction of a steady curved jet stream shown in
Figure 6, which exhibits uniform wind speed in the
along-stream direction such that DV=Dt � 0. Assum-
ing that parcel trajectory curvature may be approxi-
mated by streamline curvature, eqn [2] implies that in
the trough, where the curvature is cyclonic (Kt > 0 in
the Northern Hemisphere), the ageostrophic wind is
directed upstream ðvagso0Þ and the actualwind is sub-
geostrophic, whereas in the ridge, where the curvature
is anticyclonic (Kto0 in the Northern Hemisphere),

theageostrophicwind isdirecteddownstream ðvags > 0Þ
and the actual wind is super-geostrophic. In the
inflections between the trough and ridge, the along-
stream ageostrophic wind is zero; hence, divergence is
expected between the trough and ridge, whereas
convergence is expected between the ridge and trough.
Consequently, the pattern of horizontal divergence for
a jet streak embedded in such a curved jet stream may
be modified significantly from that shown in Figure
4A, depending on where the streak is located with
respect to the trough or the ridge. For example, for a jet
streak located near the base of the trough, the
convergence and divergence in the left entrance and
left exit regions of the streak will be enhanced by the
convergence upstream and the divergence down-
stream associated with the jet stream. As a result, the
horizontal divergence may exhibit a two-cell pattern,
rather than the four-cell pattern associated with a
straight jet streak. The two-cell pattern appears to
be more common, given the frequent association of
jet streaks with so-called ‘short-wave troughs’ in
the upper troposphere, which are characterized by
cyclonic curvature.

Coupled Jet Streaks

Sometimes two separate jet streaks in the upper
troposphere may come into such close proximity
that the vertical circulations associated with these
features become coupled. Such a configuration, de-
picted schematically in Figure 7, is common to
cyclogenetic events that produce heavy snow along
the East Coast of the United States. In this configura-
tion, the left exit region of the equatorward jet streak
and the right entrance region of the poleward jet streak
become colocated, such that the divergence in the
upper troposphere and the ascent below are enhanced.
This coupling of the vertical circulations can lead to
the organization of heavy precipitation and to the
rapid development of the surface cyclone.

The vertical circulations associated with upper-
tropospheric jet streaks can also interact with the
corresponding circulations associated with lower-
tropospheric jets and frontal zones. A hypothetical
example depicting unfavorable and favorable config-
urations of upper-level and lower-level systems is
provided in Figure 8. In the unfavorable configuration
(Figures 8A,B), the right exit region of an upper-
tropospheric jet streak is located above a surface
frontal zone. The subsidence associated with the jet
streak in this region overlies the ascent associatedwith
the surface frontal zone, acting to stabilize the air
above the front and to suppress convection. In the
favorable configuration (Figures 8C,D), the left exit
region of the jet streak is located above the surface
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Figure 6 Schematic illustration of geopotential height (solid
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frontal zone, and the ascent associated with the jet
streak can couple with the ascent accompanying the
surface front, leading to the release of convective
instability and to the outbreak of severe convective
storms.

Jet Streak Life Cycles

The foregoing conceptual models treat jet streaks as
static entities in the sense that their structure and
amplitude remain steady, although they can translate
or propagate. In reality, jet streaks undergo life cycles
while interacting with the background-flow environ-
ment. A hypothetical jet streak life cycle is illustrated
in Figure 9, in which the jet streak is traveling through
and interacting with an evolving synoptic-scale baro-
clinic wave. In this scenario, the jet streak forms in the
confluence zone situated within a trough-over-ridge
pattern (Figure 9A). As the jet streak migrates into the
north-westerly flow inflection between the ridge and
the trough (Figure 9B), the baroclinic wave amplifies.
The jet streak subsequently advances toward the base
of the trough (Figure 9C), at which time the wave is
fully developed and after which time the wave decays
as the streak travels through the south-westerly flow

downstream of the trough (Figure 9D). Although this
scenario is seldom observed in its entirety, it is
common for an evolving jet streak to progress through
at least one or several of the stages depicted in Figure 9
during some portion of its life cycle.

Dynamics of Jet Streaks

The conceptual models of jet streaks presented above
are based on hypothetical configurations of wind,
geopotential height, and potential temperature fields,
and on deductions based on air parcel arguments.
However, it is not immediately obvious that these
configurations correspond to realizable solutions,
obtainedusing either analytical or numericalmethods,
to consistent sets of dynamical equations governing
the evolution of the flow. To describe and understand
the processes bywhich jet streaks evolve, it is desirable
to refer to such solutions. In the balanced case, the
dynamics of jet streaks may be described in terms of
linear waves or nonlinear coherent vortices using the
quasi-geostrophic system, whereas in the unbalanced
case, the dynamics of jet streaks are strongly coupled
to inertia-gravity waves.

JET
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HIGH

Figure 7 Schematic illustration of surface cold and warm fronts, high and low pressure centers, sea level isobars (dotted lines),

precipitation (shaded, with asterisks representing snow and dots representing rain), upper-level flow (arrows), upper-level trough axes

(dot-dashed lines), and jet streaks (cross-hatched) associatedwith a ‘typical’ heavy snowevent along theEastCoast of theUnitedStates.

(From Uccellini LW and Kocin PJ (1987) The interaction of jet streak circulations during heavy snow events along the East Coast of the

United States.Weather and Forecasting 2: 289–308. American Meteorological Society, Boston.)
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Jet Streaks and Baroclinic Waves

It was noted previously that jet streaks often play a
significant role in extratropical cyclogenesis. In fact,
there is evidence suggesting that jet streaks are an
integral part of the upper-tropospheric baroclinic
wave associated with cyclogenesis and of a dynamical
process known as ‘downstream development’, which
accounts for the growth and decay of many such
waves. In the downstream development process,
kinetic energy propagates from an upstream trough
that is decaying toward a new trough that is growing
downstream. This energy is maximized in the inflec-
tions between the troughs and ridges, and these kinetic
energymaxima correspond to jet streaks. An idealized
picture of the structure of a baroclinic wave undergo-

ing downstream development is shown in Figure 10.
The evolution of the jet streaks in this process is
consistent with the observation that many streaks
appear to ‘jump’ between the north-westerly and
south-westerly flow inflections of the wave, rather
than translate continuously through the wave pattern,
as is the case for the conceptual life cycle shown in
Figure 9.

Jet Streaks and Coherent Vortices

Observations suggest that, in some cases, jet streaks
are associated with monopolar and dipolar vortices of
mesoscale dimensions (length scales of approximately
500 km) that are embedded within a larger-scale jet
stream. These features differ from the synoptic-scale
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baroclinic waves described above in that they do not
disperse their energy; instead they travel coherently,
maintaining their identities for periods of up to several
weeks. A straight jet streak represented in terms of a
symmetric vortex dipole solution to the quasi-geo-
strophic system is depicted schematically in Figure 11;
this schematic may be compared with its observation-
ally based counterpart in Figure 4. In the representa-
tion depicted in Figure 11, the flow associatedwith the
cyclonic vortex advects the anticyclonic vortex and
vice versa, while the combined flow of both vortices
results in a localized wind speed maximum (i.e., a jet
streak) in the regionbetween the vortices (Figure 11A).
Hence the jet streak moves downstream in conjunc-
tion with the dipole, but at a slower speed than the
maximum wind speed in the jet core, consistent with
observations. The rotational component of the ageo-
strophic flow (Figure 11B), which dominates the total
ageostrophic flow in the vortex dipole solution,
exhibits a four-gyre circulation pattern consistent
with the total ageostrophic flow pattern depicted in
Figure 3. The divergent component of the ageostroph-
ic flow (Figure 11C) is associatedwith a four-quadrant
pattern of horizontal divergence consistent with that
depicted in Figure 4A.

Unbalanced Flow in Jet Streaks

The foregoing discussion of the dynamics of jet streaks
is predicated on the assumption that the flow satisfies
some balance relationship connecting the wind and
geopotential fields. In some cases, however, jet streaks
donot satisfy any particular balance relationship; such
jet streaks are often characterized by Rossby numbers

that are large comparedwith unity, and by large values
of horizontal divergence and Lagrangian rates of
change of this quantity. A well-documented example
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605–628. Munksgaard International Publishers, Copenhagen.)

q > 0

q < 0
Vg

Vagr

Vagd

�ag < 0

�ag < 0

� < 0

� < 0

� > 0

� > 0

�ag > 0�ag > 0

(A)

(B)

(C)

Figure 11 Schematic illustration of a straight jet streak (region of

maximum wind speed shaded) represented in terms of a quasi-

geostrophic vortex dipole in a uniform zonal background flow. (A)

Quasi-geostrophic potential vorticity, q, and geostrophic velocities

associated with respective constituent vortices, such that solid

arrows indicate flow induced by cyclonic vortex (q > 0, solid line)

and dotted arrows indicate flow induced by anticyclonic vortex

(qo0, dotted line). (B) Ageostrophic vorticity, zag (zag > 0, solid

line; zago0, dotted line), and induced rotational ageostrophic

velocity given by solid arrows. (C) Horizontal divergence d (d > 0,

solid line; do0, dotted line) and induced divergent ageostrophic

velocity given by solid arrows. Vector scales of arrows are

equivalent in (B) and (C), and an order of magnitude smaller

than in (A).
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of an unbalanced flow configuration is that of an
upper-tropospheric jet streak located in the south-
westerly flow inflection between a trough and ridge in
the circumstance where the distance between the
trough and ridge is contracting. It has been hypothe-
sized that this upper-tropospheric configuration is
conducive to the generation of large-amplitude iner-
tia-gravitywaves in the lower troposphere, whichmay
be accompanied by hazardous weather. Moreover,
inertia-gravity waves associated with this configura-
tion may be important in the redistribution of
momentum and energy between the troposphere and
the stratosphere and mesosphere above, and as such
may play a significant role in the general circulation of
the middle atmosphere.

Nomenclature

f Coriolis parameter (s� 1)
g acceleration due to gravity

(m s� 2)
k unit vector in vertical direction
Kt parcel trajectory curvature

(m� 1)
L horizontal length scale (m)
n unit vector normal to horizon-

tal velocity vector
p pressure (hPa)
P ¼ �gðqy=qpÞ

�ðf þ zyÞ
potential vorticity (m2 s� 1

K kg�1)
q quasi-geostrophic potential

vorticity (s�1)
Ri ¼ ðg=yÞðqy=qzÞ=

jqV=qzj2
Richardson number

Ro ¼ V=fL Rossby number
s unit vector parallel to horizon-

tal velocity vector
t time (s)
V horizontal wind speed (m s�1)
V horizontalwindvelocity (ms�1)
Vg geostrophic wind velocity

(m s� 1)
Vag ¼ V� Vg ageostrophic wind velocity

(m s� 1)
w vertical velocity in height coor-

dinates (m s�1)
z height coordinate (m)
d horizontal divergence (s�1)
z ¼ k . ð=3VÞ vertical component of relative

vorticity evaluated on an iso-
baric surface (s� 1)

zag ¼ k . ð=3VagÞ ageostrophic vorticity, defined
as the vertical component of
relative vorticity of the ageo-
strophic wind velocity (s�1)

zy vertical component of relative
vorticity evaluated on an isen-
tropic surface (s� 1)

y potential temperature (K)
r air density (kgm�3)
f0 geopotential anomaly (m2 s�2)
F geopotential (m2 s�2)
o vertical velocity in pressure co-

ordinates (Pa s�1)
= horizontal gradient operator

evaluated on an isobaric sur-
face (m� 1)

= .V horizontal divergence evalua-
ted on an isobaric surface (s�1)

See also

Buoyancy and Buoyancy Waves: Theory. Clear Air
Turbulence. Cyclogenesis. Cyclones, Extra Tropi-
cal. Dynamic Meteorology: Overview. Fronts. Meso-
scale Meteorology: Mesoscale Convective Systems;
Models. Quasi-geostrophic Theory. Severe Storms.
Stratosphere–Troposphere Exchange: Global As-
pects; Local Processes. Synoptic Meteorology: Fore-
casting; Weather Maps. Tropopause.
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Introduction

Katabatic winds are a class of atmospheric motion in
which air flow is directed down a topographic incline
such as amountainside or glacier. The term ‘katabatic’
is Greek in origin from katabatikos, meaning to go
down, and has been used in meteorological literature
since World War I. Reference to katabatic winds is
reserved for air motion in the lower atmosphere,
extending from the surface to a height typically below
1km.

In the most general sense, any wind blowing down
an incline can be classified as a katabatic wind. The
broad definition has allowed a host of local wind
features to be defined as katabatic. As air moves
downslope, it is subject to adiabatic warming due to
compression since the pressure increases during the
descent. Two general categories of downslope winds
exist, distinguished from each other by the relative
temperature of the air stream. Awind that is warmer
than the air being displaced along and at the bottom of
an incline is referred to as a ‘foehn’. This term has its
origin in the warm winds descending the slopes of the
Alps in Europe. Similar downslope winds east of the
Rocky Mountains of North America have been called
‘chinooks’, which is taken from the Native American
word meaning ‘snow eater’ to describe effects of such
wind events. The occurrence of these winds requires
particular weather conditions in the ambient atmos-
phere above the downslope flow that direct the air
motion.

Use of the term ‘katabatic’ to describe warm wind
features was common throughout much of the early
and middle part of the twentieth century, but has
decreased over the last few decades. Discussion of
katabatic winds now invariably refers to the second
type of downslope flow,which is a coldwind. Some air
streams originate over high plateaus that are subjected
to intense cooling, such as over the interior of the
Antarctic or Greenland ice sheets. These air currents
remain colder than the surrounding environment
during the descent despite compressional heating.
Gravity is the driving force for such flows since the
density of the cold air is greater than that of the air it
displaces. The cold downslopewinds are dependent on
the local terrain slope characteristics and relative
density of the air stream, although weather conditions
in the ambient atmosphere are often important aswell.

Katabatic winds occur most frequently during
nocturnal conditions, and encompass a wide range
of time and distance scales. Cold air drainage flows
along the sides of valleys having a distance scale on the
order of 1 km and the broad continental-scale gravity
flows over the great ice sheets of Antarctica and
Greenland are each classified as katabatic. The
following discussion will focus on the cold, dense
downslope wind features for which the term katabatic
is most commonly applied.

Dynamics of Katabatic Winds

Topography is the controlling factor for both the
intensity and the direction of katabatic winds. This is
illustrated schematically in Figure 1, which represents
the atmosphere as a simple two-layer fluid. Although
highly idealized, the layer model approach in Figure 1
can explain many of the characteristics of katabatic
winds. Each layer has a constant density. The lower
layer represents the cold, dense layer nearest the Earth
and the upper layer represents the atmosphere undis-
turbed by the cooling process. A negatively buoyant
lower layer most commonly develops at night when
the sky is clear as strong radiative cooling of the
inclined surface takes place. Horizontal pressure
differences are the fundamental cause for all atmos-
pheric motions. In the case of katabatic winds the
horizontal pressure gradient force is proportional to
the difference in pressure between the cooled air near
the surface ðp1Þ and at the same horizontal level in the
ambient atmosphere overlying the cooled layer ðp2Þ.
Through the hydrostatic relationship, the vertical
change in pressure is dependent on the air density
and the thickness of the air column. For a given height
in a vertical column, pressure decreases more rapidly
with height for cold air than forwarmair.Applying the
hydrostatic principle, p1 will be greater than p2 if no
horizontal pressure difference exists above the cooled
layer, and thus horizontal acceleration will occur in a
downslope sense. By use of the hydrostatic equation,
the horizontal pressure gradient ðPÞ in the lower layer
can be defined as in eqn [1].

P ¼ �g
Dr
r1

qH
qs

� 1

r1

qp
qstop

½1�

In eqn [1], g ð¼ 9:81m s�2Þ is the acceleration of
gravity, Dr is the density difference ðr1 � r2Þ between
the bottom and top layers, r1 is the density in the
bottom layer,H is the height of the lower layer above
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some fixed reference level, and s is a horizontal length
scale. Two terms act to force atmospheric motion in
the lower layer. The first term represents the effects of
cooling over the sloping surface to produce a nega-
tively buoyant air stream. The second term depicts the
pressure gradient force in the atmosphere above the
lower layer in the horizontal direction along the
terrain slope. It is thus evident that the horizontal
pressure gradient force in the atmosphere above the
cooled layer near the surface is transferred downward
through the fluid.

Using the equation of state, eqn [1]may be rewritten
in a more convenient form as eqn [2].

P ¼ g
DT
T1

qH
qs

� 1

r1

qp
qstop

½2�

HereDT is the temperature difference between the two
layers ðT1 � T2Þ and T1 is the temperature in the
bottom layer. In this form, DT can be viewed as the
strength of the temperature inversion between the
cooled layer and the ambient overlying atmosphere. In
ordinary atmospheric situations, temperatures de-
crease with height. Under conditions of a temperature
inversion, such as occurs during nocturnal conditions,
the coldest air is situated closest to the ground and
temperatures increase with height. The strength of the
temperature inversion can be determined from the
measurement of temperature in the vertical direction,
known as a sounding.

Recognizing that the height H of the density
interface is just the sum of the terrain height and
thickness of the lower layer, P can also be expressed as
in eqn [3], where z is the height of the terrain and h is

the depth of the cooled lower layer.

P ¼ g
DT
T1

qz
qs

þ g
DT
T1

qh
qs

� 1

r1

qp
qstop

½3�

The first term in eqn [3] represents the effect of a
density contrast over sloping terrain. It can be seen
that the size of this term is dependent on themagnitude
of the density contrast and the slope of the terrain. This
term is sometimes called the buoyancy force. The
second term represents the influence of the gradient of
thickness of the cooled layer column along the slope.
For a situation in which the thickness of the lower
layer decreases, as is shown schematically in Figure 1,
this term will act to accelerate the downslope compo-
nent of the flow. For cases in which the horizontal
scales are larger than a fewkilometers, the second term
is generally smaller than the first term and can be
neglected. This simplification can also be made if it is
assumed that the inversion interface follows the
terrain. Both remaining terms, the buoyancy force
and the horizontal pressure gradient force in the
ambient atmosphere, are important in the forcing of
katabatic winds. Although developed for the two-
layer model shown in Figure 1, eqn [3] can be applied
directly to the atmosphere if potential temperature is
substituted for temperature to incorporate effects of
compressibility.

Figure 2 is a nomogram illustrating the relationship
between the inversion strength, terrain slope and
ambient pressure gradient. It can be shown that a
temperature inversion over even gentle slopes can
produce significant accelerations. Typical horizontal
pressure gradients in the ambient atmosphere are on
the order of 100 Pa over a horizontal distance of
100 km, which is equivalent to a geostrophic wind of
approximately 8m s� 1 in middle latitudes. As can be
seen from Figure 2, this is the same magnitude as the
buoyancy force arising from a lower layer that is
diabatically cooled by 101C over an incline of
approximately 1/500. For steeper inclineswithmodest
temperature inversions, the buoyancy force can be
seen to be considerably larger than typical values of the
horizontal pressure gradient force in the ambient
atmosphere. Because of the large magnitude of the
buoyancy force and stable stratification of the atmos-
phere, katabatic winds respond to the local topo-
graphic configuration, often regardless of the pressure
gradient in the free atmosphere.

Newton’s second law governs the response of a free
body to external forces acting on that body. In the case
of the Earth’s atmosphere, which rotates following the
planetary angular velocity, it is advantageous to write
Newton’s second law in a coordinate system fixed to
the Earth. A common method is to express the

�2

�1

H P1

∆z

∆s

P2

h

z

Figure1 Cross-sectional viewof two-layer fluid representative of

the cold, katabaticwind layer (lower layer) beneath the undisturbed

ambient atmosphere; p designates pressure, r designates density
ðr1 > r2Þ, H is the height of the katabatic layer above a fixed

reference, h is the depth of the katabatic layer above the ground,

and z is the terrain height above a fixed reference.
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acceleration of an air parcel in terms of the specific
forces (force divided by mass) to form the equation of
motion. Atmospheric forces acting to accelerate air
include the pressure gradient, gravity, and friction.
TheCoriolis force is an apparent force arising from the
rotation of the Earth. The horizontal vector equation
of motion for katabatic flow relative to the rotating
Earth can be expressed as eqn [4].

DV

Dt
¼ P� fk�Vþ F ½4�

Here, D=Dt represents the time rate of change
following a fluid parcel, V is the horizontal velocity,
t is time, f is the Coriolis parameter (2O sinf, whereO
is the Earth’s angular velocity of 7.29� 10� 5 rad s� 1,
and f is the latitude), and F is the frictional drag. For
small horizontal scales of motion of a few kilometers
or time scales on the order of a few minutes, the effect
of the Earth’s rotation is insignificant and acceleration
of katabatic flow is subject to the pressure gradient
force P and friction. Under these conditions, the air
accelerates directly downslope, in absence of strong
forcing from the ambient environment. For larger
scales of motion on the order of hundreds of kilome-
ters or time scales on the order of a few hours, the
Coriolis force needs to be considered. Acceleration
provided by the Coriolis force is directed to the right
(left) of the wind vector in the Northern (Southern)
Hemisphere. For katabatic winds in which the Earth’s

rotation cannot be neglected, air streams are deflected
across the terrain gradient, often at angles exceeding
451 from downslope. These conditions are found over
the great continental ice sheets of Antarctica and
Greenland. Observations show that the katabatic
wind is deflected at angles across the fall line vector
of the terrain that are consistent with effects of the
Coriolis force.

Geographical Distribution of Katabatic
Winds

Every continent on Earth experiences katabaticwinds.
Occurrences are most evident during nocturnal con-
ditions. Along the highlands and slopes of mountain-
ous terrain, rapid cooling of the surface takes place
after sunset during periods of fair weather as the
Earth’s surface radiates energy that escapes to space.
Air in contact with the ground also becomes cooled
and hence becomes denser than air at the same
horizontal level situated away from the terrain. The
cold, dense air then begins to move downslope.
Similarly, radiative cooling of air over an elevated
plateau, especially one that is covered by snow, results
in the development of a pool of cold air, and a shallow
dome of high pressure becomes established. Addition-
al accumulation of cold air or passage of extratropical
cyclones may act to trigger the release of cold air
through mountain gaps or valleys in the form of
katabatic winds.
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Figure 2 Nomogram showing the relationship between inversion strength, terrain slope and the horizontal pressure gradient force.

Extending a straight line between the inversion strength and terrain slope provides a measure of the pressure gradient force associated

with katabatic winds. Calculations assume a katabatic layer potential temperature of 273K; geostrophic windmagnitude is valid at 431N.
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Descriptive names for katabatic wind events have
been given to certain episodes that produce profound
changes in the local weather or present peril to
agricultural or other commercial activities. Nearly
all are the combined result of both cooling of the air
stream and the horizontal pressure gradients in the
ambient atmosphere. The mistral is a cold, northerly
wind that originates in the elevated regions of theAlps,
and descends into the Rhone valley and other low-
lying regions along the south of France. It is best
developed when low pressure forms in the Gulf of
Genoa. The cold air often results in frost damage to
vineyards. Bora is a name originally used to describe
the cold north-east winds observed along the coast of
the former Yugoslavia. This air stream originates over
Russia and crosses the Carpathian and Alps mountain
ranges and descends onto the usually warm shores of
the Adriatic Sea. Bora cases are associated with a
pressure field consisting of a cyclone near theBlack Sea
and an anticyclone over the European continent. Both
mistral and bora are strong and gusty winds with
maximum frequency of occurrence during winter.
Other local katabatic winds include the oroshi, a cold
wind found on the Pacific side of the mountains on the
island of Japan and the coho, awestward surge of cold
air off the elevated plateau regions through the
Columbia Gorge along the north-west coast of the
United States and southern British Columbia. Kata-
batic winds are not restricted to middle and high
latitudes. Cold drainage flows known as tehuantepe-
cers occur in the Gulf of Tehuantepec along the pacific
coast of Mexico. Katabatic winds have also been
documented in SouthAmerica along the eastern slopes
of the Andes fromnorthernChile to central Colombia.

Katabatic winds are best-developed over the great
ice sheets of Antarctica andGreenland. The geograph-
ical position of the ice sheets and high reflectivity of the
ice fields combine to limit the heating of the surface.
Temperature inversions in the lowest 100m over the
elevated interior sections of Antarctica commonly
exceed 251C during nonsummer months. Observa-
tions show the surface winds to be consistently of a
katabatic nature for much of the year. Surface winds
over Antarctic ice slopes are nearly unidirectional,
with approximately 90% of the observations from a
301 sector. The katabatic wind systems over Antarc-
tica and Greenland are among the most persistent on
Earth.

To a first approximation, the near-steady flows over
the ice sheets can be envisaged as a balance between
the horizontal pressure gradient force, the Coriolis
force, and the friction force. A simplified but useful
approximation for the friction force is F ¼ �kV V=h,
where k is a dimensionless constant having a magni-
tude between 10� 2 and 10� 3. For steady conditions,

the scalar equations of motion from eqn [4] can be
written as eqns [5] and [6].

0 ¼ P� f n� k

h
Vu ½5�

0 ¼ fu� k

h
Vn ½6�

Equation [5] is the component along the direction of
the horizontal pressure gradient force P, which is
typically in the downslope direction. Equation [6] is
the equation ofmotion perpendicular to P. Again,V is
the magnitude of the wind; u ¼ V cos b and is directed
along P; n ¼ V sin b and is directed to the left of and
normal to P. The term b is the angle between P andV.
The force balance arising from eqns [5] and [6] to
produce the steady Antarctic katabatic wind is shown
schematically in Figure 3. Equations [5] and [6] can
then be solved forV and b (eqn [7]) provided estimates
of the strength and depth of the temperature inversion,
terrain slope, and pressure gradient force in the
ambient environment are known.

V ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
hP cos b

k

r
¼ P

f
sin b ½7�

For a given terrain slope, increasing values of P are
accompanied by an increase in V and a decrease in b,
and hence the flow is faster and directed more
downslope. The observed behavior of Antarctic
katabatic winds qualitatively matches that prescribed
by this simplified model. Assessment of the steady-
statewintertimeAntarctic katabaticwind regime from
eqn [7] is illustrated by streamlines in Figure 4. The
force balance between pressure gradient, Coriolis

P

V

C

F

z

z − ∆z

z + ∆z

�

Figure 3 Horizontal view of force balance in the lower atmos-

phere for katabatic winds over Antarctica; z designates the terrain

height, V is the katabatic wind vector, b is the angle between the

wind and the downslope direction of the terrain, P is the horizontal

pressure gradient force associated with atmospheric cooling over

sloping terrain, C is the Coriolis force, and F is the friction force.
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force, and friction results in a katabatic wind vector
that is directed across the height contours of the terrain
at angles of 30–601 over the interior of the continent.
Winds near the coast are directed more downslope.
A counterclockwise, divergent katabatic wind
pattern is present over the Antarctic ice sheet. A
similar pattern can be found over Greenland, except
that the motion is in a clockwise sense. By mass
continuity, sinking motions must exist over the great
ice sheets. Avertical circulation becomes established in
the troposphere above the katabatic layer in response
to the continental outflow. The strongest winds are
found over the steepest ice slopes, which are generally
near the coast.

Antarctic katabaticwinds are not uniform, as can be
seen in Figure 4. Convergence of drainage streamlines
is present at various locations about the periphery of
Antarctica. Cold, negatively buoyant air from a broad
horizontal area becomes concentrated into a restricted
pathway. These ‘confluence zones’ represent areas
of enhanced cold air supplies available to feed kata-
batic winds downstream. The most intense and
persistent katabatic winds are observed along and
downstream of the axes of the confluence zones
depicted in Figure 4.

See also

Antarctic Climate. Boundary Layers: Stably Stratified
Boundary Layer. Cold Air Damming. Coriolis Force.
Downslope Winds. Dynamic Meteorology: Overview.
Land–Sea Breeze. Mountain Meteorology. Valley
Winds.
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Figure4 Streamlines of wintertimekatabaticwinds overAntarctica. Terrain contours (units of kilometers) of Antarctic ice sheet denoted

by thin lines.
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Introduction

The Kelvin wave is a large-scale wave motion of great
practical importance in the Earth’s atmosphere and
ocean. Discovered by Sir William Thompson (who
later becameLordKelvin) in 1879, theKelvinwave is a
special type of gravity wave that is affected by the
Earth’s rotation and trapped at the Equator or along
lateral vertical boundaries such as coastlines or
mountain ranges. The existence of the Kelvin wave
relies on (a) gravity and stable stratification for
sustaining a gravitational oscillation, (b) significant
Coriolis acceleration, and (c) the presence of vertical
boundaries or the equator. An important feature of the
Kelvin wave is its unidirectional propagation. The
Kelvin wave moves equatorward along a western
boundary, poleward along an eastern boundary, and
cyclonically around a closed boundary (counterclock-
wise in theNorthernHemisphere and clockwise in the
Southern Hemisphere). The wave amplitude is largest
at the boundary and decays exponentially with
distance from it. At the Equator, Kelvin waves always
propagate eastward, reaching their maximum magni-
tude at the Equator and decaying exponentially with
increasing latitude.

There are two basic types of Kelvin waves: bound-
ary trapped and equatorially trapped. Each type of
Kelvin wave may be further subdivided into surface
and internal Kelvin waves. Surface, or barotropic,
waves penetrate the entire depth of the fluid. Kelvin
waves also appear within the stably stratified ocean
and atmosphere, and are called internal, or baroclinic,
Kelvinwaves. Internal Kelvinwaves are often found in
a layer with large density gradients; the density
gradient acts as an interface that allows the existence
of internal gravity waves. Examples of such density
gradients are the oceanic thermocline (a layer of large
vertical temperature gradient separating a shallow
layer of warm surfacewater about 50–200mdeep and
a much deeper layer of cold water below) and the
lower edge of an atmospheric inversion, a layer in
which temperature increases with height. Like gravity
waves, Kelvin waves can also propagate vertically in a
continuously stratified geophysical fluid.

Atmospheric Kelvin waves play an important role
in the adjustment of the tropical atmosphere to con-
vective latent heat release, in the stratospheric
quasi-biennial oscillation, and in the generation

and maintenance of the Madden–Julian Oscillation.
Oceanic Kelvin waves play a critical role in tidal
motion, in the adjustment of the tropical ocean to
wind stress forcing, and in generating and sustaining
the El Niño Southern Oscillation.

Boundary-Trapped Kelvin Waves

Surface Kelvin Waves

The mechanism and properties of the Kelvin wave can
be illustrated by considering a horizontally propagat-
ing Kelvin wave in a rotating fluid of uniform finite
depthH, whereH is small compared to the horizontal
extent of the fluid. The fluid has homogeneous density
and a free surface, and is confined by a vertical lateral
boundary. Such an idealized model is referred to in
geophysical fluid dynamics as a shallow water model.

The lateral bounding wall prohibits flow across the
boundary, and this absence of transverse motion with
respect to the lateral boundary is a defining character-
istic of Kelvin waves (Figure 1). Fluid parcels (ele-
ments) are constrained to move in a vertical plane

Direction of Progress

Directio
n of Progress

Figure 1 Northern hemisphere Kelvin waves on opposite sides

of a channel that is wide compared with the Rossby radius. In each

vertical plane parallel to the coast, the currents (shown by arrows)

are entirely within the plane and are exactly the sameas those for a

long gravity wave in a nonrotating channel. However, the surface

elevation varies exponentially with distance from the coast in order

to give a geostrophic balance. ThismeansKelvin wavesmovewith

the coast on their right in the Northern Hemisphere and on their left

in the Southern Hemisphere. (Reproduced with permission from

Gill AE (1982) Atmosphere-Ocean Dynamics. New York: Aca-

demic Press.)
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parallel to the lateral boundary in the neighborhood of
the boundary. Thus, the horizontal longshore (along
the boundary) component of the Coriolis force must
vanish. Consequently, the wave motion at the lateral
boundary, and in any parallel vertical plane, is exactly
the sameas a hydrostatic gravitywave in anonrotating
system, i.e., the shallowwater gravity wave (Figure 1).
The wave travels along the boundary with the shallow
water gravity wave speed C determined by the square
root of the product of the gravitational acceleration
ðgÞ and the depth of the fluid, C ¼ ðgHÞ1=2. The shape
of the wave in the longshore direction is arbitrary and
is conserved as the wave travels. This implies that the
surface Kelvin wave is nondispersive, and that the
wave energy is transmitted at the speed of the shallow
water gravity wave. Because the Kelvin wave solution
in any vertical plane parallel to the lateral boundary is
identical to that of the nonrotating case, the energy of a
Kelvinwave is partitioned equally between kinetic and
potential energy.

A fundamental difference between the Kelvin wave
and the two-dimensional gravity wave is that the
Kelvin wave can propagate in only one direction,
rather than in two opposite directions. This is due to
the constraints of the Earth’s rotation and the presence
of the lateral boundary. Rotation modifies the flow by
piling up fluid against the lateral boundary, producing
an offshore (normal to the boundary) pressure gradi-
ent force associated with the surface elevation. Since
offshore motion is prohibited by the presence of the
boundary, the offshore pressure gradient force must
balance the Coriolis force associated with the long-
shore flow. For this reason, the motion is referred to as
semigeostrophic (i.e., geostrophic balance is reached
in only one direction). A direct consequence of this
geostrophic balance is the exponential decay of the
longshore velocity and surface height with distance
from the lateral boundary (Figure 1). The Kelvin wave
amplitude is significant only within an e-folding
distance of the order of the Rossby radius of defor-
mation ðRÞ from the lateral boundary. This important
length scale is defined by the ratio of the gravity wave
speed, C, over the absolute value of the Coriolis
parameter ðf Þ. Over this characteristic distance, the
tendency of the gravitational force to flatten the
free surface is balanced by the tendency of the
Coriolis force to deform the surface. This is possible
only for a wave traveling in the direction along which
the lateral boundary (where the wave has maximum
amplitude) is always on the right in the Northern
Hemisphere and on the left in the Southern Hemi-
sphere (Figure 1). Therefore, the effects of rotation and
the lateral boundary determine the unidirectional
propagation and the trapped behavior of the
Kelvin wave.

Internal Kelvin Waves

The horizontally propagating internal, or baroclinic,
Kelvinwave behaves in the samemanner as the surface
wave except that the motion varies with depth. Most
frequently, it occurs at a stable interface (or a thin layer
with large vertical density gradients) separating two
relatively homogeneous layers. For internal Kelvin
waves, the pressure gradient force normal to the lateral
boundary arises from the tilt of the interface and is
balanced by the Coriolis force associated with the
vertical differential flow parallel to the boundary. The
internal Kelvin wave speed depends on the density
difference across the interface and is normally much
slower than that of surface Kelvin waves. In the ocean,
the typical speed for internal coastal Kelvin waves is
of the order of 1m s� 1 and the Rossby radius of
deformation is of the order of 10 km in the mid-
latitudes. Evidence for coastal Kelvin wave propaga-
tion along the eastern boundary of the Pacific has been
observed in coastal sea level and temperature records.

In the atmosphere, boundary trapped Kelvin waves
occur primarily in the formof internalwaves. They are
often found along the edge of a plateau or a mountain
range, such as the coast of South Africa, the west coast
of California, and the eastern flank of the Tibetan
Plateau. These internalKelvinwaves are created near a
stable inversion layer (often located at the top of the
boundary layer) against steep topography. The elevat-
ed plateau or mountain range rises above the inver-
sion, forming a lateral boundary for the air of the
lower layer. Energy is prevented from escaping verti-
cally by the inversion and prevented from escaping
laterally by the topography. The maximum distur-
bance intensity of these waves is found near the coast
or plateau and decreases exponentially in intensity
away from the coast or plateau. The offshore extent of
the waves depends on both the thermal structure and
topography. When the topography is steep, the depth
of the inversion determines the Rossby radius for the
atmospheric Kelvin wave. A typical value for atmos-
pheric internal Kelvin waves is on an order of
1000 km.

Equatorially Trapped Kelvin Waves

Matsuno in 1966 showed that the eastward-propa-
gating Kelvin wave is a possible free solution to the
perturbation equations of the shallowwater model on
an equatorial b-plane (b is the meridional gradient of
the Coriolis parameter), provided that the meridional
velocity vanishes. This type of wave is called an
equatorial Kelvin wave, so named because it is
extremely similar in character to coastally trapped
Kelvin waves, with the Equator serving as a boundary.
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Like the coastal Kelvin wave, the propagation of an
equatorial Kelvinwave is unidirectional, i.e., eastward
only. In each vertical plane parallel to the equatorial
vertical plane, the motion of fluid particles is precisely
the same as that in a shallow water gravity wave
(Figure 2). The Kelvin wave propagates without
dispersion at the speed C ¼ ðgHÞ1=2, as for nonrotat-
ing long gravitywaves. Because theCoriolis parameter
changes sign at the Equator, eastward flow occurring
on both sides of the Equator would induce equator-
ward Ekman mass transport, piling up fluid at the
Equator andgenerating ameridional pressure gradient
force. In this sense, the Equator acts as a lateral wall.
The Earth’s rotation links the motion in each latitu-
dinal plane, because momentum conservation in the
north–south direction requires a geostrophic balance
between the eastward velocity and the meridional
pressure gradient force. This geostrophic balance
results in the perturbation zonal velocity reaching a
maximum on the Equator and decaying with increas-
ing distance from the Equator (Figure 2). This is
possible only for eastward-traveling waves. Thus,

equatorial Kelvin waves are eastward-propagating
and have zonal velocity and pressure perturbations
that vary with latitude as Gaussian functions centered
on the Equator (Figure 2). The e-folding distance
for decay with increasing latitude is given by
Rc ¼ ðC=2bÞ1=2, where C ¼ ðgHÞ1=2 is the gravity
wave speed and b is the meridional gradient of the
Coriolis parameter at the equator. Rc is called the
equatorial Rossby radius of deformation, because of
its relationship with the decay scale for the case of
constant Coriolis parameter. The same analysis can be
applied to baroclinic waves in both atmosphere and
ocean, with H being interpreted as the equivalent
depth. Typical values of the internal gravity
wave speed, C, for the tropical atmosphere are
20–80m s� 1, giving an equatorial Rossby radius of
between 6 and 12 degrees of latitude. For baroclinic
ocean waves, appropriate values of C are typically in
the range of 2–3m s� 1, so that the equatorial Rossby
radius is 200–250 km.

Vertically Propagating Kelvin Waves

In general, the Earth’s rotation traps planetary-scale
gravitywaves in the troposphereunless the frequencyof
the wave is greater than the Coriolis frequency (about
(1day)� 1). For this reason, mid-latitude synoptic
waves are generally unable to penetrate significantly
into the stratosphere. However, near the Equator, the
dramatic decrease in the Coriolis parameter allows
these longer-period waves to propagate vertically.
Vertically propagating Kelvin waves have been identi-
fied in both the equatorial atmosphere and ocean.

Vertically propagating Kelvin waves can be illus-
trated by considering a continuously stratified fluid
with a constant buoyancy frequency in a semi-infinite
vertical domain near a lateral boundary or in the
vicinity of the Equator. For simplicity, consider a linear
equatorial b-plane model. Solutions can be obtained
using the normal-mode technique by neglecting me-
ridional perturbations. In a vertical section along the
equator, or in any parallel vertical plane, themotion of
vertically propagating equatorial Kelvin waves shares
the properties of an ordinary vertically propagating
gravity wave. A vertical cross-section of the perturba-
tion motion, pressure, and temperature structure for
vertically propagating Kelvin waves is shown in
Figure 3. The local change in temperature is due to
adiabatic warming or cooling, so that the temperature
oscillation leads the vertical (zonal) wind and pressure
oscillations by a quarter-cycle.

Since stratospheric Kelvin waves are forced from
below by disturbances in the troposphere, the wave
energy propagationmust have an upward component.
According to theory, Kelvin waves become dispersive

(n =−1), k∗=1, Kelvin
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Figure 2 The theoretical equatorially trapped Kelvin wave

solution to the linear shallow water equations on an equatorial b-
plane for a nondimensional zonal wavenumber 1, which is

constructed from the theory of Matsuno (1966). Hatching is for

convergence and shading for divergence, with a 0.6 unit interval

between successive levels of hatching or shading, and with the

zero divergence contour omitted. Unshaded contours are for

geopotential, with a contour interval of 0.5 units. Negative contours

are dashedand the zero contour is omitted. The largestwind vector

is 2.3units, asmarked. (Reproducedwith permission fromWheeler

M, et al. (2000) Large-scale dynamical fields associated with

collectively coupled equatorial waves. Journal of the Atmospheric

Sciences 57(5): 613–640.)
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in the presence of vertical propagation, and the vertical
component of their phase velocity is always opposite
to that of their group velocity (the velocity atwhich the
wave energy is transmitted). Thus, the phase velocity
must have a downward component. The condition of
eastward propagation due to equatorial trapping
requires that the vertical wavenumber be negative.
Hence, an eastward- and downward-propagating
equatorial Kelvin wave has constant phase lines that
tilt eastward with height (Figure 3).

Because the variation in zonal wind depends on the
pressure gradient force, the highest zonal pressure
gradient precedes the largestwesterly accelerationby a
quarter-wavelength, and the zonal wind and pressure
waves coincide. This creates an upward flux of wave
energy. An individual parcel moves up along the tilted
phase line, bringing westerly momentum upward, and
moves down, bringing easterly momentum down-
ward. Thus, the Kelvin wave transports westerly
momentum upward.

Significance of Kelvin Waves in the
Atmosphere and Ocean

Oceanic Kelvin Waves

Kelvin waves are essential in the description of ocean
tides. For a deep ocean ðH ¼ 5kmÞ at 301N, the

Rossby radius for barotropic Kelvin waves is about
3000 km. Continental shelf regions normally extend
about a hundred kilometers seaward; hence, a steep
continental slope is practically indistinguishable from
a vertical boundary at the scale of the Rossby radius.
Thus, a barotropic Kelvin wave extends far from the
coast and occupies a substantial fraction of a typical
ocean. Much of the energy of tide waves traveling
along continents is transmitted in the form of baro-
tropic Kelvin waves with a speed of about 200m s�1.
For instance, along the coast of California more than
two-thirds of the semidiurnal and half the diurnal tidal
amplitudes can be accounted for by traveling baro-
tropic Kelvin waves. For shallow seas and coastal
waters, the Rossby radius is about 200 km. When a
Kelvinwavemoves through a region in which the fluid
depth or the Coriolis parameter varies and the wave
energy flux remains constant, the amplitude of
the wave varies in proportion to ðf=HÞ1=2. Thus,
wave amplitude increases when Kelvin waves move
into shallow water. In coastal regions, Kelvin waves
can also be generated as storm surges are diffracted by
vertical boundaries and scattered by irregular coast-
lines. Variable longshore winds and atmospheric
pressure gradients acting on the sea surface are also
possible energy sources for oceanic Kelvin waves.

Internal coastal Kelvin waves can be generated by
wind-induced, time-dependent coastal upwelling.
Coastal upwelling (downwelling) is caused by an
Ekman mass flux transported offshore (onshore) and
forced by longshore winds. The disturbances can then
propagate along the coast as boundary-trapped
internal Kelvin waves. Therefore, the amount of
upwelling depends not only on local wind forcing
but also on the forcing that generated the waves at an
earlier time. In a lake, during strong wind forcing, the
region of upwelling progresses cyclonically (in the
Northern Hemisphere) at the speed of an internal
Kelvin wave.

Equatorial Kelvin waves play a critical part in
thermocline adjustment. As the equatorial ocean
circulation responds to wind stress forcing, equatorial
Kelvin waves transmit signals rapidly from the west-
ern to the eastern extremities of the ocean basin.
Internal Kelvin waves propagating along the ther-
mocline take about two months to cross the entire
equatorial Pacific. These equatorial Kelvin waves play
an essential role in the El Niño Southern Oscillation
(ENSO) cycle. First, they support a positive feedback
between the central Pacific zonal wind and eastern
Pacific sea surface temperature (SST) anomalies. A
westerly wind anomaly excites downwelling Kelvin
waves, which propagate into the eastern Pacific,
suppressing the thermocline and causing the SST to
rise; this, in turn, enhances the central Pacific westerly
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wind anomaly by increasing the eastward pressure
gradient force in the atmosphere. This positive feed-
back provides a development mechanism for ENSO
SST warming. Second, the cyclonic wind stress curl
associated with the central Pacific westerly wind
anomaly can induce upwelling oceanic Rossby waves
that propagate westward. These waves are eventually
reflected at the western ocean boundary, generating
upwelling equatorial Kelvin waves, which propagate
into the eastern Pacific and offset the warming by
enhancing vertical cold advection. This negative
feedback provides a mechanism for turning the
coupled system to its opposite (La Niña) phase and
sustaining the ENSO cycle. In addition, the atmos-
pheric intraseasonal wind forcing continuously gen-
erates equatorial Kelvin waves whose nonlinear
rectification to the mean state may also contribute to
the eastern Pacific warming.

Atmospheric Equatorial Kelvin Waves

The atmospheric equatorial Kelvin wave is one of the
critical wave motions in the response of the tropical
atmospheric circulation to a heat source (Figure 4).
When an imposed heating centered on the Equator is
switched on at some initial time, Kelvin waves carry
information rapidly eastward, thereby creating east-
erly trade winds in that region and forming a Walker
cell (rising motion over the heat source region and
sinking motion to its east) (Figure 4C). Internal
equatorial Kelvin waves traveling with typical speeds
of 20–80m s�1 are an effective means by which the
equatorial atmosphere becomes homogenized in the
zonal direction. The easterly winds are in geostrophic
equilibrium, so that there is a trough along the
Equator, with the winds along the Equator flowing
directly down the pressure gradient (Figure 4). The
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westward-propagating Rossby wave regime to the
west of the forcing region is about one-third the size of
the Kelvin wave regime because Rossby waves travel
at one-third of the Kelvin wave speed (Figure 4A). The
equatorial westerlies between the symmetric Rossby
waves provide inflow into the heating region, and are
in geostrophic equilibrium, so that a relative ridge
appears along the Equator (Figure 4B). Meanwhile,
the flow converges toward the Equator. If atmospheric
damping is taken into account, this simple model can
largely explain the steady-state atmospheric response
to an imposed heat source.

Kelvin and mixed Rossby-gravity waves are the
predominant disturbances in the equatorial strato-
sphere, and play a critical role in the stratospheric
circulation through their vertical transport of energy
and momentum. Stratospheric Kelvin waves are
excited by oscillations in the large-scale convective
heating pattern in the troposphere, and are a source of
westerly momentum for the QBO (seeMiddle Atmos-
phere: Quasi-Biennial Oscillation). The QBO is a
zonal wind oscillation in the equatorial stratosphere,
and propagates downward with a period of about 24–
30 months. Figure 5 shows an example of the zonal
wind oscillations caused by the passage of Kelvin
waves near the Equator. The descent of the westerly
phase of the QBO is shown in the figure. At each level,
there is an increase of the zonal wind with time.
Superposed on this secular trend is a fluctuatingKelvin
wave component with a period of about 12 days and a
vertical wavelength of about 10–12 km. As vertically

propagating Kelvin waves carry westerly momentum
upward, they are damped by radiative cooling, small-
scale turbulence, and critical level interaction. As the
waves are damped, they lose momentum and acceler-
ate the westerly mean flow. The damping depends on
the Doppler-shifted wave frequency. As the Doppler-
shifted frequency decreases, the vertical component of
the group velocity also decreases, and a longer time is
available for the wave energy to be damped. Hence,
westerly Kelvin waves tend to be damped preferen-
tially in the westerly shear zone where their Doppler-
shifted frequencies decrease with height. The associ-
ated momentum flux convergence produces westerly
acceleration of the mean flow, causing the westerly
shear zone to descend. A similar argument is valid for
the downward propagation of the easterly phase of the
QBO through the action of Rossby-gravity waves.

A peak in the variability of the tropical atmosphere
appears in the 30- to 60-day period range, and is
known as the Madden–Julian oscillation (MJO).
Madden and Julian found that a 30- to 60-day
oscillation in zonal winds is in approximate geo-
strophic balance with varying pressure maxima and
minima centered at the Equator. A low-level low-
pressure anomaly is accompanied by low-level easterly
anomalies. The pressure and zonal wind are out of
phase in the upper troposphere. The wave patterns
move eastward along the Equator. At the Equator, the
meridional winds appear to be insignificant. The
amplitude of the oscillation decayswith distance away
from theEquator. These features are similar to those of
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internal equatorial Kelvin waves except that the large
vertical scale of the MJO implies a faster phase speed
than is observed. Arguments involving coupling with
equatorial westward-traveling Rossby waves and
interaction with the release of latent heat in the
disturbances as well as viscous damping have been
invoked to explain the observed slow phase speed.

See also

DynamicMeteorology:Waves.ElNiñoand theSouth-
ern Oscillation: Observation; Theory. Middle Atmos-
phere: Quasi-Biennial Oscillation. Ocean Circulation:
Surface–Wind Driven Circulation. Rossby Waves. Trop-
ical Meteorology: Equatorial Waves; Intra-seasonal Os-
cillation (Madden–Julian Oscillation).
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Introduction

Kelvin–Helmholtz instability is the name given, since
the 1940s, to an instability of a shear layer in a fluid,
which is themechanismofmany phenomena observed
in the atmosphere andoceans. It is said that in 1868 the
German physiologist and physicist Hermann von
Helmholtz first recognized the instability of a shear
layer, by writing that ‘every perfect geometrically
sharp edge by which a fluid flows must tear it asunder
and establish a surface of separation, however slowly
the fluidmaymove’, although this remarkmay seem to
denotemerely recognition of separation of a flow at an
edge. However, in 1871 the British physicist William
Thomson, Helmholtz’s friend who was later ennobled
as Lord Kelvin, posed mathematically, and solved
fully, a prototypical problem of linear instability of a
horizontal vortex sheet between the uniform moving
layers of two fluids of different densities, in an attempt
to model the formation of ocean waves by the wind.
Later, Helmholtz developed this model and applied it to
the formation of billow clouds. At the same time the
British physicist Lord Rayleigh was developing the
theory of the instability of a shear layer, that is a parallel
flow in which the fluid speed varies across the layer.

These ideas were developed, extended, and applied
in the twentieth century. An especially important
extension is the instability of a horizontal shear layer
in a stratified fluid, that is a fluid whose density varies
with height, because this models more realistically the

mechanism of billow clouds, clear air turbulence, and
other similar phenomena in the atmosphere.

The visionary British meteorologist Lewis Richard-
son recognized in the 1920s that atmospheric turbu-
lence could be maintained only if the inertial
instability due to shear could overcome the static
stability due to heavier air being beneath lighter air.
The essence of his argument can be recapitulated in
terms of the energetics of the instability of a horizontal
shear layer in a stratified fluid, as follows. Suppose
then that a basic flow of an incompressible inviscid
fluid of variable density has velocityUðzÞi and density
rðzÞ, where i is a horizontal unit vector and z is the
height. The essential mechanism of the instability is
the conversion of the available kinetic energy of
relative motion of the horizontal layers of the fluid
into kinetic energy of a perturbation, overcoming the
potential energy needed to raise or lower fluid when
dr=dz � 0 everywhere, that is when light fluid is
always above heavier. Thus shear tends to destabilize
and buoyancy to stabilize the flow. To quantify these
tendencies, suppose that two neighbouring fluid par-
ticles of equal volume, at heights z and zþ dz, are
somehow interchanged. Then the increment of work
dW per unit volume needed to overcome gravity and
effect this interchange is

dW ¼ �gdrdz

where g is the acceleration due to gravity and
dr ¼ ðdr=dzÞdz. In order that the horizontal momen-
tum of the inviscid fluid is conserved in the inter-
change, the particle initially at height z will plausibly
have final velocity intermediate between the velocities
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of the ambient fluid at its initial and final levels, say
ðU þ kdUÞi, so that the other particle has final velocity
½U þ ð1� kÞdU�i in order to conserve linear momen-
tum, where dU ¼ ðdU=dzÞdz and k is some number
between 0 and 1. Then the increment of kinetic energy
dT per unit volume released by the interchange is

dT ¼ 1
2rU

2 þ 1
2ðrþ drÞðU þ dUÞ2 � 1

2rðU þ kdUÞ2

� 1
2ðrþ drÞ½U þ ð1� kÞdU�2

¼ kð1� kÞrðdUÞ2 þ kUdUdr

onneglecting higher-order terms in drðdUÞ2. For small
increments,

dT ¼ kð1� kÞrðdUÞ2

onneglecting the inertial effectsof thevariationofdensity
(this is a good approximation for instability in the
atmosphere because the buoyancy effects of the variation
of density there are almost always much greater). Thus,

dT ¼ k 1� kð Þr dU

dz

� �2

dzð Þ2� 1

4
r

dU

dz

� �2

dzð Þ2

with equality holding for k ¼ 1
2. Now a necessary

condition for there being enough energy to effect this
interchange, and hence for instability to occur, is that
dW � dT, and therefore that

�g
dr
dz

� 1

4
r

dU

dz

� �2

somewhere in the field of flow, or that

RiðzÞ � 1
4

where the local Richardson number is defined as the
dimensionless quantity

RiðzÞ � � gdr=dz

rðdU=dzÞ2

This criterion, namely that RiðzÞ � 1
4 somewhere in

the flow, is a necessary condition for instability of the
given basic flow, and so RiðzÞ > 1

4 everywhere in the
flow is a sufficient condition for stability; it is called
Richardson’s criterion. The above argument for an
incompressible inviscid fluid may be adapted for a
perfect gas in adiabatic motion, and so for air in the
atmosphere, by replacing the density by the potential
density, and this leads again to Richardson’s criterion
but with the Richardson number redefined as

RiðzÞ � g

T

dT

dz
þ G

� ��
dU

dz

� �2

where T is the absolute temperature and G the
adiabatic lapse rate. For a perfect gas G ¼ g=cp, where
cp is the specific heat at constant pressure. In fact,
G � 8K per kilometer in the troposphere.

Theory and Experiments

Now let us go back to Kelvin’s problem, and see a few
of its details. Suppose that a basic horizontal flowof an
incompressible inviscid fluid is given by

UðzÞ ¼ U2

U1

�
; r ¼ r2

r1

�
for

z > 0
zo 0

�

O

O

U1

�1

�2

U2
U(z)

�(z)

z

z

(A)

(B)

Figure 1 Sketch of (a) velocity and (b) density profiles in Kelvin’s

basic flow of two horizontal layers of fluid.

Figure 2 Kelvin’s cat’s-eye pattern. This shows the streamlines

near the level where the phase velocity of the waves equals the

basic velocity of a smoothly varying profile of a homogeneous

inviscid fluid.
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This gives a vortex sheet at z ¼ 0, as sketched in
Figure 1. Kelvinwasmotivated by the special casewith
r2 � r1 to model wind blowing on an ocean current.
We may anticipate the occurrence of internal gravity
waves in the special case with U2 ¼ U1. In any event,
Kelvin took an irrotational flow coupled to a pertur-
bation of the profile of the vortex sheet, and resolved
the perturbation into independent normalmodes,with
its flow quantities proportional to (or rather the real
parts of functions proportional to)

exp½iðkxþ lyÞ þ st�

where k and l are given horizontalwavenumbers in the
x- and y-directions (so the wavelengths in these
directions are 2p=k and 2p=l, respectively). He de-
duced, by solving an eigenvalue problem, that

s ¼� ik
r1U1 þ r2U2

r1 þ r2
� k2r1r2 U1 �U2ð Þ2

r1 þ r2ð Þ2
"

� g k2 þ l2
� �1=2 r1 � r2ð Þ

r1 þ r2

#1=2

Figure 3 (A) Photograph of instability of a shear layer. The lower stream of water moves leftwards faster than the dyed upper stream.

Photograph of F. A. Roberts, P. E. Dimotakis and A. Roshko recorded by Van Dyke (1982) An Album of Fluid Motion. Stanford, CA:

Parabolic Press. (B) Photograph of instability of a stratified shear layer. The long rectangular tube is filled with water above dyed brine.

After the fluid came to rest the tube was suddenly tilted to create the shear layer with downward acceleration of the brine and upward

acceleration of the water. The upper stream of water is moving rightwards, and the lower stream of brine leftwards. Photograph of S. A.

Thorpe recorded by Van Dyke (1982) An Album of Fluid Motion. Stanford, CA: Parabolic Press.
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Expressing s ¼ s� io in real and imaginary parts, we
identify o as the frequency of the mode, and s as its
relative growth rate. It follows that if

k2r1r2ðU1 �U2Þ2 > gðk2 þ l2Þ1=2ðr1 � r2Þðr1 þ r2Þ
then this mode may grow exponentially with

s ¼ k2r1r2ðU1 �U2Þ2
ðr1 þ r2Þ2

� gðk2 þ l2Þ1=2ðr1 � r2Þ
r1 þ r2

" #1=2

and the x-component of its phase velocity is the mass-
mean basic velocity

o
k
¼ r1U1 þ r2U2

r1 þ r2

Now the flow is unstable if any one mode grows
exponentially, and so if s > 0 for any pair of real
values k and l. But the formula above shows that s > 0
for some modes with large values of k, provided that
U2 6¼ U1 and r1; r2 > 0, and therefore that all such
two-layer flows are unstable to short waves. However,
Kelvin himself showed that surface tension, as well as
buoyancy, could in fact stabilize the flow. (In passing,
one may note that the above formula for s gives the
velocity of internal gravity waves at the interface of
two fluids when U2 ¼ U1.)

In 1931, Sydney Goldstein, Bernhard Haurwitz,
and Geoffrey Taylor independently generalized

Kelvin’s model to deal with basic velocity and density
profiles varying smoothlywith height. Their results for
various shear layers seemed to support Richardson’s
criterion, but John Miles and Louis Howard con-
firmed Richardson’s criterion mathematically in the
1960s. Typical relative growth rates of a shear layer
are found to be s � U2 �U1j j=10Lwhen the Richard-
son number is appreciably less than a quarter (note
that, by Richardson’s criterion, s ¼ 0 if RiðzÞ � 1

4
everywhere), where L is the thickness of the layer.
Taking U2 �U1j j ¼ 10m s�1 andL ¼ 100m, as order
of magnitude estimates for billow-cloud formation,
we see that the linear instability breaks up the shear
layer with an e-folding time of about s�1 � 100 s.
Thus Kelvin–Helmholtz instability is a transient
process in the atmosphere. The transience presents
one way to distinguish billow clouds from lee-wave
clouds, which are forced orographically.

In 1880 Kelvin himself examined the streamlines
due to instability of a shear layer of an unstratified
fluid, and found what is now called the Kelvin’s cat’s-
eye pattern, shown in Figure 2. Taylor showed in 1931
that for a stratified fluid the regions of closed stream-
lines alternate at slightly different levels.

As the sinusoidal waves of the linear instability
grow, nonlinearity will moderate the growth. Avortex
sheet and a shear layer will then begin to roll up,
as shown in Figure 3. Of course, instability in the

Figure 4 A row of billow clouds photographed by Paul E. Branstine. For the meteorological data see Drazin PG and Reid WH (1981)

Hydrodynamic Stability, p. 22. Cambridge: Cambridge University Press.
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atmosphere is not so neat as in the careful laboratory
experiments of Figure 3.

Atmospheric Phenomena

Kelvin–Helmholtz instability occurs in the atmos-
phere as a sporadic, butwidespread, phenomenon. It is
usually invisible, and so can be dangerous as clear air
turbulence. But it can be detected by radar or seen by
chance as billow cloudswhen the humidity is such that
the rising air in a vortex leads to condensation as cloud
and the falling air leads to evaporation (see Figure 4).
When seen at an angle, the lines of billow clouds are
often called a ‘mackerel sky’; this is because of their
resemblance to the pattern on the back of a mackerel,
the North Atlantic fish.

Kelvin–Helmholtz instability is not only of local
significance. It, and the turbulence into which it
usually develops, play an important role in the energy
budget of the atmosphere by transferring energy from
the larger to smaller scales of motion until it is finally
dissipated as heat by viscosity.

Further, it has been conjectured that shear instabil-
ity in the absence of buoyancy plays a fundamental
role in turbulence itself.

See also

Buoyancy and Buoyancy Waves: Theory. Clear Air
Turbulence.Clouds: Climatology. DynamicMeteorol-
ogy: Waves. Instability: Inertial Instability; Symmetric
Stability. Lee Waves and Mountain Waves. Turbu-
lence, Two Dimensional.

Further Reading

Drazin PG and Reid WH (1981) Hydrodynamic Stability,
§§4, 44,Chap. 4.Cambridge:CambridgeUniversityPress.

FaberTE (1995)FluidDynamics for Physicists, §§8.11, 8.12.
Cambridge: Cambridge University Press.

Green J (1999) Atmospheric Dynamics, chapter 6. Cam-
bridge: Cambridge University Press.

VanDykeM (1982)AnAlbumof FluidMotion, photos 145–
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Introduction

Kinematics, when applied to the atmosphere, refers to
the description of both air motion and the motion of
patterns describing other properties of air, such as
moisture content, temperature, and pressure. This
description is without regard to forces and other
physical processes that cause the motions. Air motion
itself is an important causal factor for many of the
pattern changes of the other properties of the air. Daily
sequences of weather maps showing horizontal wind
flow and the movement of patterns in pressure and
temperature dramatize the kinematic perspective of
the atmosphere.

This article presents an overview of atmospheric
kinematics as follows. First, we look at a brief
historical perspective. Then, basic characteristics and
descriptors for air motion are reviewed. Finally,
examples of the wide range of applications of kine-
matic analysis for the atmosphere are presented.

History

Studies of the kinematics of airmotion date back to the
advent of observing system networks for wind which
first became available in the nineteenth century over
parts of Europe and the United States. Kinematics was
applied to early studies of the extratropical cyclone.
Historical presentations by Kutzbach in 1979 and
Eliassen in 1999 document how the analysis and
development of theory for these cyclones depended on
the kinematics of the surface wind field. In particular,
conflicting theories were resolved by noting whether
the dominant surface wind flow was primarily con-
vergent, rotational, or confluent – three of the impor-
tant basic air motion descriptors of atmospheric
kinematics to be discussed later.

Weather map depictions of the atmosphere became
common in the twentieth century. Kinematics became
a basic analysis perspective not only forwind fields but
also for describing the motions of weather map
patterns, such as the movement of pressure isobars,
and weather fronts. The determination of large-scale
verticalmotion (a quantity that could not bemeasured
directly) was an important application of kinematics.
Using a kinematic method, vertical motion was

1072 KINEMATICS



determined from the horizontal divergence in the
observed wind field using a relationship from the
continuity of mass equation.

By the middle of the twentieth century, kinematic
analysis for the atmosphere had become fully devel-
oped. Authors such as Saucier in 1955 and Pettersen in
1956 described awide range of atmospheric kinematic
principles and applications.

Basic Air Motion Properties

Motion Characteristics

The advection (transport) of atmospheric properties
by air motion is a fundamental means by which the air
motion affects the state of the atmosphere. This
advection alone can change conditions at a specific
point in space as patterns of fluctuation in the
atmosphere aremoved past this position. For instance,
a west wind in an area where the air temperature is
warmer to the west than to the east will tend to
increase temperatures in the middle area (Figure 1).
The mathematical description of this effect can be
expressed as

qT=qt ¼ �u qT=qx ½1�
where T is the temperature, t the time, u the air
motion speed in the west–east direction, x the
distance in the west–east direction, and q the
partial derivative operator. The right-hand-side
quantity is generally referred to as thermal advection.
The temperature change, qT=qt, is positive as u
is positive and qT=qx negative for the conditions
described above.

The fact that the air motion, itself, varies in space
adds an important characteristic to the advection
effect. Namely, the differential in advection effects can
change the shape and pattern of the quantity of air
being moved at the same time it is being displaced.
These effects have been examinedmost thoroughly for
the two-dimensional case, i.e., the horizontal wind
field and horizontal distribution of air properties.
Significant distortions in horizontal patterns can arise
with differential advection acting over sufficiently
long durations of time.

The differential advection capabilities of the hori-
zontal wind field can change the horizontal distribu-
tion patterns of properties such as temperature,
pressure, moisture, or the wind field itself. Spatial
variation in a velocity field can be described as the
summation of four distinct properties of thewindfield.
These properties and their effects on an individual
element, for example a specified region ofwater vapor,
are summarized below and in Figure 2:

1. uniform translation: movement with no change in
shape, orientation, or horizontal extent;

2. rotation: change in orientation without change in
shape or horizontal extent;

3. divergence: change in horizontal extent or area
without change of shape and orientation;

4. deformation: change in shape without rotation or
change in horizontal extent.

Mathematical definitions of these four properties
for the two-dimensional wind field can be derived
using a linear Taylor series expansion of the velocity
field with reference to the center position of the
specified area of interest. Let u0 and v0 be the values of
the x component (eastward) and y-component (north-
ward) of the horizontal velocity at the center point and
uðx; yÞ and vðx; yÞ be the velocity component values at
distances x and y from the center point. Then, thewind
field characteristics relevant for each of the four
effects, respectively, are:

1. uniform translation: movement with speed u0 in
the x direction and v0 in the y direction;

2. rotation: turningdefinedby the vertical component
of vorticity, z ¼ qv=qx� qu=qy;

3. divergence: expansion defined by horizontal diver-
gence, d ¼ qu=qxþ qv=qy;

4. deformation: shape distortion at a rate defined by
the horizontal component magnitude,

Dj j ¼ qu=qx� qv=qyð Þ2þ qv=qxþ qu=qyð Þ2
h i1=2

Note that ‘vorticity’ referenced in the rotation
definition may be described as ‘relative vorticity’ in
atmospheric applications where velocities are meas-
ured ‘relative’ to the Earth surface which itself is
turning. Also note that the deformation expression is
more complex than the vorticity and divergence
expression in that it depends on the position of the
coordinates, i.e., the details of deformation effects
depend on the orientation of the deformation field.
The deformation has two components described in the
definition above by the two quantities that are squared
inside the square root function.

The basic differential advection characteristics can
be generalized for the full three-dimensional wind

Warm ColdA

Figure 1 Temperature and wind pattern (arrows) that lead to

warming at Point A by the advection (transport) process due to the

air motion.
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field. This results in many more scalar descriptors for
the motion properties compared to the two-dimen-
sional case presented above. The two-dimensional
(horizontal) perspective is sufficient for many atmos-
pheric applications, especially for large-scalemotions,
such as those depicted inweathermaps,where the flow
field is predominantly horizontal. This would not be
true for small-scale systems such as turbulence near the
Earth’s surface, cumulus clouds, and tornadoes. In
these cases, verticalmotion fluctuations can be as large
as those for the horizontal motions.

Motion Descriptors

There are a number of descriptors for air motion that
are frequently used in kinematic analysis of the
atmosphere. It is useful to define them and to indicate
why they are useful and how they relate to the
fundamental definition of motion. Air motion is a
vector with a direction and magnitude (speed) that
alternatively may be described by the components of
motion in the directions of the coordinate system. In
the three-dimensional atmosphere, an example would
be the u; v, and w components in the eastward ðxÞ,
northward ðyÞ, and vertical ðzÞdirections, respectively.

The four distinct properties of the air motion
described above (uniform translation, vorticity, diver-
gence, and deformation) are not only important
components for the kinematic description but also
serve as basic variables for analyzing the dynamics of
the system. For large-scale horizontal motions where
the vertical vorticity component is generally larger
than the horizontal divergence and deformation com-
ponents, the governing equations of motion can be
approximated by equations for the rate of change of
the vertical component of vorticity. Divergence has a
direct relationship to vertical motion and is often used
in descriptions for large-scale airflow to represent
vertical motion conditions. Deformation has more
limited use as a separate variable. Its most basic
application is in relation to analysis for atmospheric
frontogenesis, the situation where horizontal varia-
tions (gradients) of temperature, or other atmospheric
descriptors, are increasing.

Six other descriptors used to characterize air
motions in the atmosphere are discussed below.

1. Streamline: line parallel to and following along the
flow direction in space at a given time. Streamlines
give information only on direction of flow, not the
speed of flow. The direction taken by smoke
coming out of a smokestack will be in the same
direction as the streamlines at the time when it
comes out. Often streamlines are shown for two-
dimensional space.

(A)

(B)

(C)

(D)

Figure 2 Four basic kinematic properties of air motion and the

effect of each respectively on an element being advected (trans-

ported) by the air. Panels A–D show uniform translation, rotation,

divergence, and deformation, respectively, for horizontal motion.

The solid-line enclosed area shows the advected element at the

initial time and the dashed-line enclosedarea shows the element at

a slightly later time.
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2. Isotach: contour surface connecting positions with
the same wind speed. On a two-dimensional chart,
isotachs are contour lines which together with
streamlines together give a complete description of
the two-dimensional flow field.

3. Trajectory: line following the course of an air
parcel element which is moving with the air
motion. In general, the trajectory is three dimen-
sional. Often trajectories are shown for a nearly
horizontal two-dimensional space such as the
Earth surface. Trajectories will follow streamlines
if flow conditions are steady state. The track taken
by a single puff of smoke emitted from a smoke-
stack defines its trajectory.

4. Streakline: line connecting the air parcel elements
whose trajectories all emanate from a single posi-
tion in space. The pattern produced by a smoke-
stack that is continually emitting smoke is one
example of a streakline.

5. Streamfunction: a function in two-dimensional
space (e.g., cðx; yÞ) whose spatial gradients define
the wind flow for nondivergent flow conditions in
that space in the following way: u ¼ �qc=qy and
v ¼ qc=qx. The contours of constant streamfunc-
tion, like the streamlines, are parallel to the wind
flow. In addition, the gradients of streamfunction
value perpendicular to the lines of constant stream-
function define the wind speed. Thus, in a map
showing streamfunction contoured at a regular
interval, the distance between adjacent contours
will be inversely related to the wind speed
(Figure 3). For many quasi-horizontal, large-scale
atmospheric flows, which have negligible horizon-
tal divergence, the streamfunction is sufficient to
define the horizontal wind field. The Laplacian of

streamfunction defines the associated vertical com-
ponent of vorticity, z, according to the relationship

z ¼ r2c ¼ q2c=qx2 þ q2c=qy2 ½2�
6. Velocity potential: a function (e.g., wðx; y; zÞ)whose

gradients in space define the divergent components
of motion. In atmospheric sciences where a two-
dimensional formulation is commonly used, the
horizontal divergence is defined from wðx; yÞ by the
relationships uw ¼ �qw=qx and vw ¼ �qw=qy,
where uw and vw refer to the divergent component
of velocity in the x and y directions, respectively.

7. Wind shear: variations of the wind vector or its
components in a given direction. Commonly, this
term is used to refer to a lateral wind shear, i.e., a
change in speed in a direction perpendicular to
thewind direction (Figure 4). Thus forwest-to-east
wind flowdefined by the u component ofmotion in
the x direction, lateral wind shear involves varia-
tions in the y direction (north) and z direction
(vertical). The presence of wind shear is a factor in
many types of flow instability.Wind shears are also
representative of both vorticity (rotational) and
deformation flow components in the wind.

Applications

Kinematic analysis is used in a wide number of
applications to describe conditions in the atmosphere.
Several of these are briefly described here.

Describing Pressure Field Patterns

As mentioned earlier, kinematic analysis has been
applied to the motion of patterns of pressure, temper-
ature, humidity, etc. describing the atmospheric

Figure 3 Contours for streamfunction (solid lines) and the

associated wind field (arrows) for a two-dimensional and nondi-

vergent flow. The arrows show the direction of flow and have

lengths proportional to speed. Streamfunction values of the

contours decrease going from the bottom to the top of the chart.

Figure 4 Example of a lateral wind shear field for straight-line

wind flow. The arrows show the (uniform) direction of flow and the

arrow length is proportional to the speed.

KINEMATICS 1075



condition, such as seen in weather map sequences. A
common depiction is made for pressure distributions,
which relate directly to the horizontal wind for large-
scale conditions. Pressure at a constant height (often
mean sea level) is used to describe the surface weather
systems and winds using lines connecting regions with
the same pressure (called isobars). At higher levels in
the atmosphere, the horizontal pressure variations
are commonly represented by variations of the
height where a given pressure is found. In this case,
we use lines of constant height on a surface of fixed
pressure (called height contours) rather than lines
of constant pressure (called isobars) on a surface of
fixed height to define the horizontal pressure varia-
tions. In the discussion below these terms are used
interchangeably.

The motions of the surface pressure isobars and
height contours themselves are due to both movement
and amplitude changes of weather systems. Such
motion is witnessed in the propagation of high- and
low-pressure system centers and their associated
isobar patterns in a sequence of daily weather map
depictions (Figure 5). These motions relate to the
pressure tendencies observed by barometers at fixed

locations commonly used to indicate pending weather
changes. Such pressure tendencies correspond directly
to the motions of isobars and the spacing between
isobars (magnitude of horizontal pressure gradient).

For large-scale motions, the isobars and height
contours themselves have a well-defined relationship
to thewind flow in extratropical latitudes according to
the ‘geostrophic law’ approximation. Specifically, the
horizontal flow tends to be parallel to the isobars and
height contours in the directionwhere, in theNorthern
Hemisphere, the lower pressure (or height) is to the left
facing in the direction of the flow and the higher
pressure (or height) is to the right. (Directions are
opposite in the SouthernHemisphere.) In addition, the
flow speed is inversely proportional to the horizontal
pressure gradient, i.e., the distance between adjacent
isobars or height contours. This means that the
pressure contour patterns have a direct relationship
to flow streamlines so that kinematic properties of the
airflow itself, such as vorticity and deformation, are
suggested by the pressure contour patterns. Near the
Earth’s surface frictional effects have a systematic
effect on the large-scale wind flow, causing air to have
a flow component across isobars from high to low
pressure. This leads to horizontal wind divergence and
associated verticalmotionwhen the isobars are curved
as around low- and high-pressure centers (Figure 6).

Considerable specialized and descriptive terminol-
ogy is used for features and their time changes in the
large-scale horizontal pressure field patterns not only
by scientists but also by weather presenters on radio
and television. Commonly used terms include trough,
ridge, digging trough, inverted trough, cut-off low,
filling low, building ridge, etc. Some of these terms
characterize pressure patterns and their changeswhich
are quite useful for describing dynamic as well as
kinematic conditions. For instance, in the situation
where isobars or height contours run generally east–
west with the lower pressures to the north, a ‘trough’
refers to a region of relative minimum in pressure
where isobars for various pressure values are displaced
southward compared to positions to the east andwest.
A ‘tilted trough’ means that the longitude of minimum
pressure differs according to latitude, so that a line
connecting positions for the location of lowest pres-
sure at each latitude ‘tilts’ eastward or westward with
latitude (Figure 7). Such tilts for the associated large-
scale motion fields imply systematic correlations
involving temperature, momentum, and transport
processes. These correlations would be expected to
result in extratropical storm system development
located in the trough area (in the Northern Hemi-
sphere) if the trough is tilted from south-west to north-
east (a ‘positive’ tilt) with the reverse for a tilt from
south-east to north-west, a ‘negative’ tilt.

H

H

L

H L

H

(A)

(B)

Figure 5 Surface pressure isobars (solid lines) for large-scale

weather systems for two consecutive times demonstrating the

movement and changes of pressure field patterns, a focus of

atmospheric kinematics: (A) earlier time and (B) later time. The H

and L denote local regions of highest and lowest pressure,

respectively. The contour interval is a fixed value so changes in

the number of isobars go along with changes in pressure

magnitudes at the H and L positions.
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Determining Vertical Motion

Vertical motion is a key factor for many aspects of
weather, such as cloud development, precipitation,
development of weather systems, etc. Nevertheless, as
mentioned before, few directmeasurements of vertical
motion are available. However, a number of methods
exist for estimating large-scale vertical motion. The
kinematic method is based on the principle of conser-
vation of mass which provides a direct relationship
between the horizontal divergence field and the
vertical motion. Recall that horizontal divergence is
one of the basic components of the horizontal motion
field as discussed earlier.

The atmosphere is a compressible gas so that
variations in density must be included in the relation-
ship. For the incompressible case (e.g., like water), a
very simple relationship between horizontal diver-
gence and vertical motion exists:

qw=qz ¼ � qu=qxþ qv=qy½ � ½3�
where w is vertical motion, z is height, the other
variables are as defined earlier. Integration of this
relationship with respect to height provides magnitu-
des of verticalmotion at all levels as long as it is known
at one level. To account for the compressibility aspects
important for atmosphericweather systems, a density-
weighted formula can be used:

qðrwÞ=qz ¼ �½qðruÞ=qxþ qðrvÞ=qyÞ� ½4�
where r is density and the variation of r in time is
assumed to be negligible. This formulation is less easy
to use because of the spatial variations in density. In
some applications density variations on the right-hand
side of the equation can be neglected.

An equivalent formulation of the continuity ofmass
relationship using pressure instead of height for the
vertical coordinate system is often used for determin-
ing large-scale vertical motion. In this coordinate
system, the vertical motion is represented by the
variable o representing the pressure change following
an element of air. In this case the equation becomes

qo=qp ¼ � qu=qxþ qv=qy½ � ½5�
where the derivatives on the right-hand side are
evaluated on constant pressure surfaces.

Frontogenesis

Weather ‘fronts’ relate directly to stormy activity and
rapid changes. Fronts commonly refer to regions in the
large-scale setting where there are maxima in hori-
zontal variations (gradients) for descriptors such as
moisture, temperature, and winds in the atmosphere.
Horizontal temperature gradients are commonly used

(A)

(B)

H

L

H

L

Figure 6 Large-scale horizontal wind field (arrows) in the

Northern Hemisphere associated with surface pressure isobars

(solid lines): (A) without and (B) with surface friction effects,

respectively. The H and L denote local regions of highest and

lowest pressure, respectively. Note that in panel B with the curved

isobars, the horizontal divergence of the wind is more evident.

According to the conservation of mass relationship, vertical motion

above the surfacewould be expected in the low- and high-pressure

center areas in panel B.

(A)

North

(B)

Figure 7 Examples of large-scale pressure field patterns (height

contours) and associated motion flow direction (arrows) typical in

the upper troposphere (Northern Hemisphere) which demonstrate

‘tilted trough’ terminology. Side A: negative tilt trough (a more

westwardpositionof theminimumpressureona latitude lineasone

goes further north); side B: positive tilt trough (a more eastward

position of the minimum pressure on a latitude line as one goes

further north. Heights (pressures) decrease to the north. The

motions associated with the positive tilted trough would be

expected to produce development of an associated extratropical

cyclone.
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to define the fronts and are shown onweather maps as
cold, warm, and stationary fronts. Understanding the
movement and changes in such fronts is important for
describing, understanding, and predicting rapid
changes in atmospheric conditions.

An important factor in the formation of large
horizontal gradients is the kinematic deformation in
the horizontal wind field. Such an increase in gradients
occurs when the horizontal deformation flow in the
atmosphere is oriented so that the axis of dilatation
(expansion) is parallel to the contours of temperature
and the axis of confluence (contraction) is perpendic-
ular to the contours of temperature (Figure 8). This
results in the contours of different temperature values
being brought closer together, signifying an increase in
the horizontal temperature gradient. An examination
of the existing horizontal temperature distribution and
the horizontal deformation distribution in the wind
field or as implied from the pressure field can give
considerable insight on how existing temperature
gradient regions might change.

Air Pollution

Air pollution arises from the transport of pollutants
from source regions often at or near the Earth’s
surface. Sources may be obvious point sources like a
smokestack or more dispersed sources like automo-
biles. Temperature differences between the source
material and the atmosphere near the source region or
density differences due to the pollutants themselves
may influence how the pollution propagates. Howev-
er, much of the propagation will be due to transports
by the atmospheric motion. Such transports can be
separated into small-scale turbulent motion effects
which cause a general dispersion of the pollution over
time in all directions and larger-scale motions that

provide a more systematic propagation of the pollu-
tion. Kinematic analysis can provide useful informa-
tion on where to expect pollution conditions,
especially for the larger-scale motions, and also to
determine the source regions for pollution conditions.

Flow trajectories define the path of systematic
propagation by air motion. Since most pollution cases
involve sources that act over sustained periods of time
or even continuously, the distinction between trajec-
tory and streamline is important for understanding the
overall lateral spread of pollution from a source area.
Namely, the wind flow at any one time is not sufficient
information. It is the cumulative effect over time
measured by the ensemble of trajectories originating in
the pollution source area. The availability of computer
models for atmospheric motion makes it possible to
determine atmospheric trajectories routinely. It is even
possible to determine the source regions of trajectories
reaching a given region by looking back in time. This
allows for definition of the source regions for air
pollution observed in a given area.

Current Weather and Short-Range Prediction

Kinematic analysis of the wind flow is important for
understanding current weather conditions and mak-
ing predictions for the near future, i.e., within 12 h.
Dynamical weather predictionmodels are particularly
limited in the first 12 h for predicting clouds and
precipitation since these variables are poorly repre-
sented in the initial conditions, and it takes a while for
the prediction model to recreate existing fields in the
forecast. Extrapolation of initial conditions based on
motion transports alone determined by kinematic
analysis can provide important information on the
atmospheric conditions, especially for moisture,
clouds, and precipitation.

Kinematic analysis for horizontal wind flow also
provides a direct measure of vertical motion through
the kinematic relationship between horizontal diver-
gence and vertical motion (discussed before). Such
analysis applied on the small scale (horizontal dimen-
sions of 100 km or less) is used by forecasters to
identify regions of upward vertical motions and thus
probably more likely for development of convective
precipitation systems in the near future, i.e., several
hours. Such analysis is also useful for describing heavy
rain situations that have occurred.

Measurement of Winds

A variety of methods are used to measure the
horizontal wind flow. Some operate from fixed posi-
tions such as surfaceweather station anemometers and
weather vanes that give measurements in a fixed
(Eulerian) reference system. Others such as weather

Cold

Warm

Cold

Warm(A) (B)

Figure 8 Horizontal flow deformation field (arrows) and temper-

ature contour (dashed lines) relationships where the temperature

variation (gradient) would be expected to increase in time (A) and

decrease in time (B) because the deformation field axis of

confluence (shown by a dotted line) is perpendicular or parallel,

respectively, to the temperature contours moving them closer

together and further apart, respectively. Temperatures are colder

at the top side of the diagrams as labeled.
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balloons, clouds tracked from satellites, and raindrops
tracked with Doppler radar provide estimates for
tracers presumed to be following the wind flow (a
Lagrangian system reference). Cloud tracking tech-
niques for this purpose have the additional challenge
of determining the height of the cloud and sorting out
situations where the clouds do not move with the
horizontal wind such as for the stationarywave clouds
seen aroundmountains. Combining such observations
into a single description of the wind flow requires
taking into account the distinction between trajecto-
ries and streamlines and the differing impacts of space
and time averaging.

Analysis and Dynamical Process Studies

Published descriptive summaries of atmospheric cir-
culation features include routinely many of the
kinematic horizontal flow descriptors discussed here.
For example, the publication Climate Diagnostics
Bulletin published by the US National Weather
Service National Centers for Environmental Predic-
tion provides monthly summaries of many global-
scale circulation features. Quantities presented in-
clude zonal wind flow (the west-to-east ‘u’ component
of motion), horizontal flow vectors (streamline direc-
tion indicators) and isotachs (speed) for both the lower
and upper troposphere along with upper tropospheric
level streamfunction, divergent wind and velocity
potential fields. The latter two quantities give an
indication of large-scale vertical motion in the atmos-
phere through the kinematic relationships discussed
before.

The kinematic descriptors also are used in studies
of the dynamical processes in the atmosphere.
The kinematic variables include some more complex
than the basic kinematic variables described here.
As examples, dynamical studies of large-scale weather
systems utilize potential vorticity (a combination
of rate of temperature decrease with height and
vorticity measures) and Q-vectors (diagnostic varia-
bles that relate to vertical motion derived from the
equations of motion and thermodynamics as well as
the continuity of mass relationships). The study of
vortices such as dust devils, tornadoes, and rotating
thunderstorms is facilitated by a kinematic variable
called helicity. This variable combines the velocity and
three-dimensional vorticity (rotational aspects) of the
velocity field.

Conclusions

Atmospheric kinematics embodies the description of
movement of air and its descriptors such as moisture
content, pressure, and temperature with a focus on the
air motion itself. The importance of kinematics has
been shown by a sampling of its use in a wide range of
applications. In the discussion here, the focus has been
on the conceptual aspects of kinematics without
dwelling on the mathematics. It should be noted that
since air motion is a vector, the complete mathematics
for the concepts presented here can involve compli-
cated mathematical expressions.

See also

Aerosols: Observations and Measurements. Beaufort
Wind Scale. Cyclones, Extra Tropical. Fronts. Syn-
optic Meteorology: Weather Maps. Tornados. Trac-
ers. Turbulent Diffusion. Vorticity.
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Introduction

Laboratory experiments represent one of several
approaches employed to gain insight into the processes
responsible for natural phenomena.Other approaches
include diagnostic studies of observational data,
analytic theory, and numerical solutions of the gov-
erning equations. Each has strengths and limitations.
In concert, they can provide good insight into the
mechanisms involved.

Diagnostic studies are useful in the characterization
of dynamical properties of observed phenomena such
as convection; turbulence; the propagation, growth
and damping of waves; and the time-mean or space-
mean circulation. They provide a framework in which
to assess theories and laboratory simulations, which
must exhibit essentially the same properties in order to
be considered valid. They cannot, however, isolate the
roles of controlling parameters (e.g., rotation and
differential heating) in bringing about observed phe-
nomena, or provide insight into how things would
change if these parameters were altered.

Analytic theory, based on simplified models, is not
designed to deal with the full complexity of different
phenomena, but rather to determine the roles of the
major controlling parameters.

Numerical simulation, using discretized approxi-
mations to the full nonlinear governing equations, can
treat much more complex systems but is limited in
accuracy by the fact that important sub-grid-scale
phenomena must be parameterized, and by the reality
that the solution of the discretized (algebraic) equa-
tions departs progressively with time from that of the
governing differential equations.

Laboratory experiments, under carefully controlled
and reproducible conditions, can be used to verify
predictions based on analytic theory and numerical
simulation and to discover phenomena that require
new theory to explain them. In order to gain insight, it
is not desirable to deal with the full complexity of each
phenomenon. Moreover, full similarity cannot gener-
ally be achieved.

In this article, we select for discussion a few of the
many types of experiments that have been employed to
understand phenomena in the Earth’s atmosphere,
oceans, and fluid interior. Examples are chosen that
illustrate the interplay of diagnostics, theory, and

experiment, and for which regime diagrams have been
constructed that map the fluid behavior over a broad
range of parameters.

Similarity

In developing a laboratory prototype, one strives to
attain similarity in as many ways as possible. An exact
model would be one that had the same geometry as the
system to be modeled, but on a smaller scale, and the
same governing equations, with the same relative
magnitudes of the different terms in these equations.
The relative magnitudes are measured by dimension-
less numbers, which are ratios of different terms in the
governing equations. For example, the ratio of the
relative acceleration of a fluid parcel to the Coriolis
acceleration in a rotating system leads to the definition
of the Rossby number Ro � dV=dtð Þj j= 2X3Vj j
where V is the fluid velocity, t is time and X is the
angular velocity of the system. If the acceleration is
dominated by advection V .=V, and if V is a charac-
teristic speed of the flow and L a characteristic length
scale, the Rossby number can be expressed as
Ro ¼ V=fL, where f is the Coriolis parameter.

Some dimensionless numbers are arrived at after
combining all or several of the governing equations
(usually in linearized form) to obtain equations that
reveal the relative influences of thermodynamic and
mechanical processes. One example is the Rayleigh
number Ra � ga �qTn=qzð ÞH4=nk, where �qTn=qz is
the excess of the undisturbed vertical temperature
lapse rate over the adiabatic lapse rate in a character-
istic depthH of fluid, z is height, g is the acceleration of
gravity, and n, k, and a are respectively the kinematic
viscosity, thermometric conductivity, and coefficient
of volume expansion of the fluid due to temperatureT.
The Rayleigh number measures the ratio of the
destabilizing effect of buoyancy to the stabilizing
effect of viscous and thermal diffusion.

In geophysical problems, it is usually impossible to
construct laboratory analogues with the same geom-
etry as the systems to be modeled. Although some
experiments have been done in space vehicles in zero
gravity, using electromagnetic forces to simulate
gravity normal to a sphere, laboratory experiments
on Earth typically replace the Earth’s spherical geom-
etry with cylindrical geometry, in order that gravity be
normal to the bottom of the fluid. Moreover, it is not
generally possible to achieve the same balances among
all terms in the governing equations in the model as in
nature. Experimentalists attempt, instead, to model
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only the balances that are essential to the problem and
to explore how the flow changes as themost important
parameters are varied.

Vertical Convection between
Horizontal Planes (Rayleigh–Bénard
Convection)

Convection due to heating at the bottom and cooling
at the top of a fluid layer is ubiquitous in the Earth’s
atmosphere, oceans, and interior. It is also found in the
Sun, in other stars, and in the atmospheres and
interiors of other planets. The simplest experiment
illustrating this phenomenon is accomplished by
maintaining the bottom boundary of a liquid at a
higher temperature than the top boundary. In the
absence of dissipation, the resulting density increase
with height would clearly be unstable, leading to a
massive overturning until themore dense fluid is found
below the less dense fluid. In the presence of heat
conduction and viscosity, however, there is a critical
value of the Rayleigh number Rac below which
convective overturning cannot occur. This value
depends on the details of the boundary conditions
and the heating arrangement (e.g., constant tempera-
tures or constant heat fluxes at the boundaries), but is
always of the order 103. Henri Bénard, who first
performed such experiments in 1900, found that,
when convection set in, it took the form of polygonal
cells (which ultimately became regular hexagons).
Later experiments showed that the preferred plan
form at instability with most imposed conditions is
steady two-dimensional rolls. Today, it is generally
accepted that Bénard’s cells were produced by surface
tension gradients due to temperature variations on the
free upper surfaces of very shallow fluids.

At successively larger Rayleigh numbers, the plan
form of the convection changes, the details depending
on Prandtl number ðPr � n=kÞ. At low Pr, the transi-
tion is from steady rolls to three dimensional periodic
oscillations. At high Pr, there is an intermediate range
of Ra in which steady three-dimensional cells are
observed. At sufficiently large Ra, the periodic oscil-
lations give way to turbulent convection.

Figure 1 shows patterns and the associated circula-
tion that can arise in cellular convection. Figure 2 is a
regime diagram covering a broad range of Ra and Pr.
BelowRac the vertical heat fluxH is accomplished by
heat conduction. With increasing Ra above this
transition,H (accomplished primarily by convection)
increases withRa at fixed Pr, with jumps in the rate of
increase at each successive transition.At highRayleigh
numbers, within the turbulence regime, convective
plumes tilt with height and transfer momentum

between the lower and upper portions of the fluid by
means of Reynolds stresses, thereby creating and
maintaining a steady large-scale circulation of the
fluid. Incorporation of this mechanism into the cloud
parameterization in one global numerical prediction
model led to the correction of systematic errors in the
predicted tropical wind field. At very high Ra, the
plumes form clusters that exhibit systematic horizon-
tal drift.

Much theoretical work has been done on the
convection problem, beginning with the linear theory
of Lord Rayleigh in 1916. The theory establishes that
the only parameter controlling the onset of convection
is Ra, and that the cell diameters at the onset of
convection, which are controlled by the buoyancy and
dissipative scales, are about twice the depth of the

Figure 1 (A) Plan view of convection cells generated by lowering

a cylinder containing a high Prandlt number fluid into a larger

container of warm fluid. The irregular polygonal plan form is due to

the changingmean temperature of the convecting fluid. (B) Vertical

cross-section depicting broad-scale downward motion along the

cell boundaries and upward and outward motion in the interiors of

the cells. Experiment by the author, Geophysical Fluid Dynamics

Institute, Florida State University.
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convecting layer. Laboratory experiments confirm the
predicted values of Rac and the cell size.

Weakly nonlinear theory has been employed to
investigate the stability of each of the possible plan
forms allowedby the linear theory.Consistentwith the
results of laboratory experiments, the solutions show
that only two-dimensional rolls are stable to small
disturbances just above the critical Rayleigh number
Rac in the absence of vertical asymmetries. Hexagonal
cells become the preferred plan form in the presence of
such asymmetries.

It is known from both theory and experiment that if
horizontal flow is superimposed, the convection
becomes aligned in rolls in the direction of the shear.
If rotation is superimposed, the horizontal dimensions
of the convection cells shrink.

In the Earth’s atmosphere, cloud patterns give
evidence of turbulent convection, clusters, two-di-
mensional roll convection, and three-dimensional
cellular convection under different conditions. Behind
maritime cold fronts, convection has been observed in
the form of both open and closed cells (Figure 3), the
former having upward motion at the cell boundaries
anddownwardmotion in the centers, and the latter the
reverse circulation. These observations have sparked
further experiments and theory that, although highly
idealized, seem tohave relevance to the observed cloud
patterns. Weakly nonlinear theory predicts that three-
dimensional open and closed hexagons, rather than
rolls, are stable when the mean vertical motion is

downward or upward, respectively. Laboratory
experiments confirm the existence of these plan
forms under the same circumstances. The theory and
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Figure 2 Regime diagram depicting the dependence of plan form and time dependence on Ra and Pr when the top and bottom

boundaries are rigid and maintained at different temperatures. Symbols: * steady cellular flow; �, time-dependent cellular flow; , cells

and transient bubbles (transitional);&, transient bubbles;�, large-scale flowwith tilted plumes; n, heat flux transitions. The dashed curve

represents the transition from one to two hot spots circulating in each convection cell. (Reproduced with permission from Krishnamurti R

and Howard L (1981) Large-scale flow generation in turbulent convection. Proceedings of the National Academy of Sciences of the USA

78: 1981–1985.)

Figure 3 Section of Air Force DAPP satellite photograph (2230

GMT 4 April 1973) of convective clouds, centered near 301N and

611W, showing open cells in a region of large-scale downward

motion and closed cells in a region of large-scale upward motion.

The region is roughly 500 km on a side. (Reproduced with

permission from Shaugnessy JE and Wann TC (1973) Picture of

the month-frontal rope in North Pacific. Monthly Weather Review

101: 774–776; Krishnamurti R (1975) On cellular cloud patterns,

Part 3: Applicability of laboratory and mathematical models.

Journal of the Atmospheric Sciences 32: 1373–1383.)
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experiments do not, however, exhibit the aspect ratio
observed in the atmosphere, where the horizontal
scales are from 10 to 50 times the depth of the
convecting layer. Clouds are formed by the release of
latent heat of condensation, a complication not dealt
with in Rayleigh–Bénard convection. More recent
experiments demonstrate that large cell sizes can be
realized by simulating the release of latent heat of
condensation in clouds that form in an otherwise
stably stratified atmosphere.

In the ocean, the water density is controlled by both
temperature and salinity, and thermal diffusion is
much more rapid than salt diffusion. Convection
under these circumstances is controlled by four
dimensionless parameters, Ra, Pr (both defined earli-
er), the ratio of the diffusivities of salt and temperature
t � ks=kðo1Þ and the salinity Rayleigh number
RaS � ggðqS=qzÞH4=nk. Here g is the coefficient of
volume expansion of the fluid due to salt and S is the
salt concentration. When qS=qzo0 and qT=qz > 0,
the density gradients due to salt and temperature are
both stably stratified, so no instability is possible.
When qS=qz > 0 and qT=qzo0, both gradients are
unstably stratified, and convective instability is ob-
served. When either qS=qz > 0 and qT=qz > 0, or
qS=qzo0 and qT=qzo0, double diffusive instabilities
are possible. Such instabilities occur when the net
density stratification is stable, but either the temper-
ature is stably stratified and the salt is unstably
stratified, or vice versa.

Theory and experiment confirm that when warm,
salty water lies over cold, freshwater, with a net stable
density stratification, thin ‘salt fingers’ develop for
sufficiently large positive RaS (unstable) and small
negative Ra (stable), with rising fingers of cold, fresh
water and sinking fingers of warm, salty water. For
very small negative Ra, the salt fingers become
unstable and, below a comparatively thin layer, are
replaced by a well-mixed convection layer. If the fluid
is sufficiently deep, another salt finger layer forms
below thewell-mixed layer.Within a range of values of
the controlling parameters, reflecting, in particular,
small negativeRa and deep water, the instability takes
the form of a number of convecting layers bounded
above and below by comparatively thin salt finger
layers. Evidence of such phenomena has been found in
the ocean (e.g., in the Mediterranean outflow).

When cold, fresh water lies above warm, salty
water, with a net stable density stratification, theory
and experiment show that oscillatory instability takes
place for sufficiently large positive Ra and sufficiently
small negative RaS. Once again, layering occurs in
sufficiently deep fluids, with well-mixed convective
layers bounded above and below by stably stratified
diffusive layers. Evidence of this phenomenon has

been found below an Arctic ice island, as well as in
Antarctic lake Vanda and in other lakes, in which
warm sea water from old intrusions is found below
cold, fresh lake water.

In the Earth’s mantle, convection is shaped by the
temperature dependence of the viscosity of the con-
vecting material. The mantle behaves like an extreme-
ly viscous, low thermal conductivity fluid. Internal
heating, accompanied by cooling at the surface,
creates global-scale convection, resulting in the mo-
tions of continents. Moreover, the core heats the
lowest layer of the mantle, providing buoyancy and
lowering the viscosity locally. Evidence suggests that
convection from this source, under very high Rayleigh
numbers, takes the form of narrow plumes which,
upon reaching the surface, form volcanic chain islands
(e.g., the Hawaiian islands), among other features. An
example of plume convection modeled in the labora-
tory is shown in Figure 4.

In the Earth’s fluid core, rotation and electromag-
netic (Lorentz) forces play important roles, and the
four dimensionless parameters needed to study con-
vection under such influences are the Rayleigh
number, the Prandtl number, the Taylor number (the
square of the ratio of the Coriolis to the viscous force),
and the Elsasser number (the ratio of the magnetic
body force to the Coriolis force). Rotation renders the
motions nearly two-dimensional in planes normal to
the angular velocityX, which is not parallel to gravity,
and tends to make the cells narrower than they would
be in its absence, Electromagnetic forces tend to make
the cells wider. Buoyancy is created in part by thermal
effects and in part by compositional changes (solidi-
fication of iron and nickel, leaving a buoyant residual
liquid at the boundary with the inner core). Convec-
tion takes place in a geometry of variable depth owing
to the alignment of the convection cells within the
spherical annulus. Modeling of all these effects in one
laboratory experimentwould be very complicated and
is probably not possible. Separate experiments mode-
ling thermal convection in a self-gravitating sphere or
annulus, thermal convection under the simultaneous
influence of rotation and a magnetic field, and com-
positional convection show qualitative agreement
with theory and numerical simulation, but much of
this work has not approached the parameter range of
the core.

Sloping Convection in Rotating,
Laterally Heated Fluids

Pioneering experiments by Dave Fultz and Raymond
Hide beginning around 1950 demonstrated that it is
possible to simulate basic features of the general
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atmospheric circulation, including the jet stream and
the growth and propagation ofmid-latitude, synoptic-
scale ðL � 1000 kmÞ baroclinic waves. In these exper-
iments, a liquid contained in an upright cylinder or
cylindrical annulus is rotated about the axis of the
cylinder, heated at the outer wall and cooled either at
the center or at the inner wall. Differential heating
establishes a radial temperature gradient, analogous
to the meridional temperature gradient in the atmos-
phere. Overturnings create a stable vertical density
stratification with Brunt–Vaisala (buoyancy) fre-
quency N. Two main dimensionless parameters con-
trol the instability and the scale of the baroclinic
waves: the Burger number B � N2H2=f 2L2 (which
measures the competition between stratification and
rotation in determining the baroclinic wave scale) and
the Taylor number Ta � j2X3Vj2=nr2Vj2. Here, f is
the Coriolis parameter and N2 � ga=qTqz > 0. The
growth rate of the disturbances is proportional to the
ratio of the destabilizing effect of vertical shear to
the stabilizing effect of stratification jqV=qzj=N,
the square of which is the inverse of the Richardson
number. While fluid motions in the cylinder
(or ‘dishpan’) experiments look more like those
seen on upper tropospheric weather maps, the more
regular wave patterns in the annulus experiments
possess the same essential ingredients and are easier to
interpret.

Figure 5 shows the streamlines, isotherms, and
vertical velocity contours corresponding to a 4-wave
pattern in an annulus experiment. The relationships
among these variables are similar to those in mid-
latitude developing baroclinic waves and confirm the

predictions of analytic theory. Baroclinic growth is
achievedby the rising ofwarmfluid downstreamof the
troughs and the sinking of cold fluid downstream of

Figure 5 Plan view of streamlines (solid curves), isotherms

(dashed curves), and vertical velocity contours (dotted curves with

shading for upwardmotion) atmid-depth in an annulus experiment.

The inner and outer cylinders are held at uniformly cold and warm

temperatures, respectively. The annulus is rotated counterclock-

wise. The pattern travels counterclockwise relative to the annulus.

A meandering jet stream, following the most closely spaced

streamlines, flows counterclockwise through the pattern. (Repro-

duced with permission from Pfeffer RL, Buzyna G and Fowlis WW

(1974) Synoptic features and energetics of wave amplitude

vacillation. Journal of the Atmospheric Sciences 31: 622–645.)

Figure 4 Plume convection produced by maintaining a reservoir of low-density fluid (water) below a more dense, highly viscous fluid

(corn syrup). Seen here are two thermals and one ‘starting plume’. The thermals entrain more dense fluid and decelerate. The plume

entrainsbuoyant fluid from the thin trailing filament leadingback to the sourceandacceleratesupward. (CourtesyofD. Loper,Geophysical

Fluid Dynamics Institute, Florida State University.)
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the ridges in the stream field. Away from the bound-
aries, the motions are quasigeostrophic and hydro-
static, implying thermal wind balance and the
existence of a jet stream above the strongest temper-
ature gradients.

The slope of the azimuthal mean potential temper-
ature surfaces in the radial plane is such that the
coldest fluid is found at the bottom near the cold
source and the warmest fluid at the top near the heat
source. A parcel stability argument reveals that insta-
bility can take place only if fluid parcels are displaced
within the angle between the geopotentials and the
potential temperature surfaces (called the Eady angle,
after the scientist who elucidated this in his 1949
theory of baroclinic instability). According to linear
theory, this can take place only at horizontal scales
larger than a critical value that depends on B. Shorter
waves haveparcelmotions outside theEadyangle.The
fastest-growing waves are those for which the parcel
motions follow the bisector of this angle. The scale
of these waves is L � l ¼ NH=f (called the Rossby
radius of deformation), corresponding to B � 1.
Longer and shorter waves have slower growth rates
because their parcel paths have steeper or less steep
slopes.

Figure 6 is a sketch of the regime diagram showing
the various wave scales and forms of time dependence
observed in annulus experiments. The use of the

thermal Rossby number RoT � gaHDT=4X2DR (in
which the annular gap-widthDR is taken as the length
scale and the imposed thermal wind as the velocity
scale) reflects the fact that the imposed temperature
contrast DT controls both the Burger and Richardson
numbers.

Outside the curve containing the baroclinic wave
regime, the motions are axisymmetric, resembling a
Hadley cell with rising and sinking motions near the
warm and cold walls, respectively, and fluid spiraling
inward in the upper layer and outward in the lower
layer. The cutoff of wave instability at largeRoT is due
to the fact that the preferred wave scale for instability
is larger than that which can fit within the annulus.
The cutoffs at small Ta and RoT are due to the
dominance of dissipation for small wave scales and/or
rotation rates. Within the regular wave regime, the
observed wave scales correspond to the predicted
value l, becoming smaller asDT is decreased and/orX
is increased. At lower DT (i.e., smallerN2) and higher
X, where nonlinearity becomes important in the more
irregular flow, the observed scales are generally larger
than predicted. Two kinds of time dependence are
observed in these experiments: amplitude and struc-
tural vacillation.

Amplitude vacillation is a nearly periodic growth
and decay of waves (Figure 7A–D). Axisymmetric
overturnings near the side walls set up large temper-
ature gradients across the middle of the annular gap.
Baroclinic instability sets in, leading to explosivewave
growth. The waves transport heat across the annular
gap and induce a thermally indirect Ferrel cell between
the thermally direct meridional cells near the walls.
The heat transport is so great that it reduces the
horizontal temperature gradient below the critical
value needed to overcome dissipative effects, and the
waves die out. When the waves become sufficiently
weak, axisymmetric overturnings reestablish the ra-
dial temperature gradient and the cycle begins anew.
Although not periodic, striking cases of a similar
process of hemispheric baroclinic wave growth and
decay inmiddle latitudes inwinter have been observed
in the Earth’s atmosphere (Figure 7E, F).

Structural vacillation is characterized by time-
dependent changes, in the wave shapes with negligible
changes in wave amplitude. As RoT decreased and Ta
is increased, this form of vacillation first appears as a
weak, almost periodic, oscillation. In some experi-
ments, it manifests itself as a periodic tilting of the
troughs and ridges such that they transport angular
momentum first inward and then outward (Figure 8).
In others it manifests itself as an energy oscillation in
the radial direction.With further decreases ofRoT and
increases of Ta, the oscillations become modu-
lated and intermittent in time, finally giving way to
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Figure 6 Sketch of the regime diagram for baroclinic flow in an

annulus with gap width twice the fluid depth, depicting the most

probable wave scales and time dependence as a function of RoT
and Ta at Pr ¼ 21. The upper shaded region shows where

amplitude vacillation is most prevalent. The unshaded region

immediately below it indicates where structural vacillation is most

common. The details differ with aspect ratio and Prandtl number.
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fully-developed geostrophic turbulence. There is good
evidence to suggest that structural vacillation repre-
sents a form of low-order deterministic chaotic
behavior, with the order increasing as one moves
toward the region of geostrophic turbulence.

In addition to the two forms of vacillation, wave
dispersion has been observed near the boundaries
between wavenumbers. In such experiments, two, and
sometimes three, adjacent wavenumbers are observed,
withphase speeds that increasewithdecreasing scale. It
has been speculated that this phenomenon is associated
with the slope of the free surface due to rotation,which
can act in part like the variation of the Coriolis
parameter in the atmosphere, although thewave speed

varies linearlywith scale rather than quadratically as in
the formula for Rossby waves in the atmosphere.

Variations of the annulus experiment have been
used to study other influences that affect atmospheric
behavior. Among these are bottom topography, land–
sea temperature variations, cyclic variations of the
imposed temperature contrast (simulating seasonal
forcing) and the effect of internal heating in the
atmospheres of the major planets on the formation
and maintenance of large detached vortices (e.g.,
Jupiter’sGreatRed Spot and related features on Saturn
and Neptune). Additional studies of baroclinic fluid
behavior have been performed with two homoge-
neous, incompressible fluids driven by a differentially

Figure 8 A sequence of flow patterns depicting tilted trough vacillation in a thermally driven rotating annulus of fluid. (Courtesy of

Professor D. Fultz, University of Chicago.)
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rotating lid. Here the baroclinicity is concentrated at
the interface between the two fluids. Other experi-
ments designed to account for detached vortices have
been performed with mechanically driven, rotating
barotropic fluids at high Reynolds numbers (the ratio
of advection to viscous forces), high Taylor numbers,
and low Rossby numbers. Such experiments have also
been used to study the properties and stability of the
Earth’s stratospheric polar night jet.

One important property of synoptic-scale waves in
the atmosphere that has not yet been successfully
modeled is the meridional and vertical propagation of
such waves, made possible by the presence of a
background potential vorticity gradient, the absence
of lateralwalls, and the unlimited upward extent of the
atmosphere. Unlike atmospheric waves, annulus
waves are trapped radially and vertically. Innovative
experiments attempting to address someof these issues
have not yet borne fruit.

Other Experiments

Numerous other geophysical fluid dynamics experi-
ments have been conducted to illustrate fundamental
theorems or explain observed phenomena: for exam-
ple, the Taylor–Proudman theorem (which states that
rapid rotation characterized by small Ro and large Ta
makes the flow invariant in the direction of X);
Kelvin–Helmholtz instability (instability generated by
a sufficiently large velocity shear across the interface
between a lower density fluid and an overlying higher
density fluid); axisymmetric inertial instability (the
instability of a circular flow when the square of the
angular momentum decreases outward and Ta ex-
ceeds a critical value:Figure 9); various routes to chaos
as a control parameter, such as rotation, is increased;
and critical layer absorption (the absorption of neutral
linear waves near a surface along which their phase
speeds in the direction of the background flow equal
the background flow speed). Kelvin–Helmholtz insta-
bility is responsible for the formation of billow clouds
and wind-driven water waves. Critical layer absorp-
tion plays a crucial role in the quasi-biennial oscilla-
tion in the equatorial stratosphere.

Other experiments model phenomena such as top-
ographic waves in stratified fluids, penetrative con-
vection in the atmosphere (where tropospheric
convection penetrates into the stably stratified strat-
osphere), and the strong boundary currents found
along the western shores of most oceans (e.g., the Gulf
Stream, the Kuroshio Current, the Brazil Current).

Penetrative convectionhas beenmodeled bymaking
use of the property that themaximum density of water
occurs around 41C. If the bottom of a container of
water is maintained at 01C, by placing it in contact

with a block of ice, and the top is maintained at a
temperature well above 41C, the layer below the 41C
isotherm will have an unstable density stratification,
which will lead to convection, and the layer above will
have a stable density stratification.

Western boundary currents have been modeled in a
rotating cylinder of fluid in which the base is a sloping
plane that creates variable depth. It is readily shown
that, in an unstratified fluid, the variable depth has the
same effect on the flow as the latitudinal variation of
the Coriolis parameter has on the atmosphere and the
ocean. Experiments and theory confirm that this is the
crucial ingredient in the formation of western bound-
ary currents.

Although the present article has by no means
covered all types of geophysical fluid dynamics exper-
iments that have been performed, it should give the
reader sufficient familiarity with the type of research
that is done and the factors that are considered when
designing such experiments.

Figure 9 Taylor vortices in a tall cylinder of fluid produced by

bringing the fluid into solid rotation and then stopping the rotation.

The fluid near the wall slows down while that away from the wall

continues to spin, creating an unstable velocity profile. Courtesy of

R Kung and the author, Geophysical Fluid Dynamics Institute,

Florida State University.
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See also

Baroclinic Instability.Cyclogenesis.DynamicMete-
orology: Overview. Instability: Inertial Instability; Sym-
metric Stability; Wave–CISK. Jet Streaks. Kelvin–
Helmholtz Instability. Middle Atmosphere: Quasi-
Biennial Oscillation. Ocean Circulation: Surface–Wind
Driven Circulation. Planetary Atmospheres: Jupiter and
the Outer Planets. Predictability and Chaos. Quasi-
geostrophic Theory. Wave Mean-Flow Interaction.
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Introduction

Chemical kinetics is the study of the rates of transfor-
mation of chemical compounds from reactant species
into products. The rate of a reaction is defined to be the
rate of decrease with time of the reactant concentra-
tion (in number ofmoles ormolecules per unit volume)
due to chemical reaction(s), or, equivalently, the rate of
increase of the product concentration. In the atmos-
phere, chemical reactions typically involve free radi-
cals, as reactants, products or both. Free radicals are

neutral fragments of molecules containing an un-
paired electron and are generally very reactive. Some
important atmospheric examples include OH, HO2,
HCO, CH3, and CH3O. Stable molecules such as O3,
NO and NO2 also contain unpaired electrons, which
can influence their reactivity.

Principles of Chemical Kinetics

Overall and Elementary Reactions

The rate is expressed in terms of one mole of reaction,
so rates of concentration change are normalized to the
reaction stoichiometric coefficients, which give
the number of moles of each compound appearing in
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the balanced chemical equation. Thus for the reaction
[I], in which a, b, c, and d represent the stoichiometric
coefficients for their respective compounds in the
balanced chemical equation, the rate is defined by
eqn [1].

aAþ bB ! cCþ dD ½I�

Rate ¼� 1

a

d A½ �
dt

¼ � 1

b

d B½ �
dt

¼ 1

c

d C½ �
dt

¼ 1

d

d D½ �
dt ½1�

This expression gives the phenomenological rate at
which reactantsAandBare transformed toproductsC
and D. It contains no information concerning the
mechanism of the reaction, nor does it have any
predictive utility.

Since most chemical reactions involve an exchange
of atom(s) among the reagents, it is intuitive that such
processes should proceed via collisions, or at any rate,
close approaches of the reagents to one another. Since
the likelihood of such collisions increaseswith number
density (concentration), the rate is often expressed in
terms of the concentrations of the compounds in-
volved (eqn [2]), where k represents a concentration-
independent factor (which may depend on other
parameters; see below).

Rate ¼ k½A�w½B�x½C�y½D�z ½2�
The exact form of this expression must be determined
experimentally; any of the species present in the
reaction system may appear and the exponents w–z
may or may not bear any relationship to the stoichio-
mentric coefficients a–d. For example, the low tem-
perature oxidation of methane to carbon dioxide and
water, whose balanced equation is given by [II], has a
rate expression that may be approximated by eqn [3],
where [M] represents the total concentration of all
species present, and k and k0 are two different
constants.

CH4 þ 2O2 ! CO2 þ 2H2O ½II�

d½CH4�
dt

¼ �k½CH4�½M�f5ðe4k 0 ½O2�t � 1Þg ½3�

This rate expression is clearly not intuitively derived
from the balanced reaction and indicates that the
reaction does not proceed, at a molecular level, by the
simultaneous interaction of a methane molecule with
two oxygen molecules. A more complex process,
involving many individual reaction steps, is respon-
sible for the observed rate expression.

The reactionmechanism is a sequence of elementary
chemical reactions, each of which occurs by a single
interaction between reagents. This sequence of reac-
tions, taken together, must give rise to the observed
rate expression. The rate expressions for elementary
reactions are easily written from their balanced
chemical equations; for example, the elementary
reaction [III], which is the first step in the atmospheric
oxidation ofmethane, has a rate given by eqn [4], since
the reaction takes place by the interaction of one OH
molecule with one methane molecule.

OHþ CH4 ! H2Oþ CH3; ½III�

d CH4½ �
dt

¼ �k CH4½ � OH½ � ½4�

Elementary reactions generally involve atoms, free
radicals or other highly reactive species.

Elementary Chemical Reactions: General Features

If a reaction is known to be elementary, the explicit
time dependence of the concentration of all chemical
species involved may be obtained through integration
of the rate expression.A few instances are of particular
interest in atmospheric chemistry.

First-order reactions These are reactions in which
the exponents in the rate expression sum to unity. This
class of systems includes photochemical transforma-
tions and unimolecular reactions (in the high-pressure
limit). For example, the rate expression for photode-
composition of formaldehyde in the near ultraviolet,
shown in reaction [IV], is given by eqn [5].

H2COþ hn ! HþHCO ½IV�

d H2CO½ �
dt

¼ �k T; hnð Þ H2CO½ � ½5�

In eqn [5] the rate constant depends on the photon
energy, hn, as well as temperature, T. This is easily
integrated to yield eqn [6].

H2CO½ �t¼ H2CO½ �0e�kt ½6�
This represents a simple exponential decay from the
initial concentration, H2CO½ �0.

Second-order reactions These include bimolecular
reactions between different reagents, as well as self-
reactions. The rate expression depends upon the
instantaneous concentrations of both species involved
in the reaction. For example, the reaction of OH
with methane (reaction [III] above) is second order.
The time dependence of reactant concentrations is
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somewhat more complicated than that for first-order
reactions, as shown by eqn [7].

kt ¼ 1

OH½ �0� CH4½ �0
ln

OH½ �t CH4½ �0
CH4½ �t OH½ �0

� �
½7�

In laboratory studies of bimolecular reactions, the
concentration of one reagent is typically forced to be in
great excess, and so remains essentially constant
concentration during the reaction. For example, if
CH4½ � � OH½ �0, CH4½ �t � CH4½ �0, and the rate of
change of theOHconcentration can be expressed as in
eqn [8].

d OH½ �
dt

¼� k Tð Þ CH4½ �0 OH½ �
¼ k0 Tð Þ OH½ � ½8�

Here k0 Tð Þ ¼ k Tð Þ CH4½ �0. In this case, the reaction is
said to exhibit pseudo-first-order behavior, and the
time dependence of the OH concentration is given
by [9].

OH½ �t¼ OH½ �0 e�k 0 Tð Þt ½9�
The true bimolecular rate coefficient is then obtained
by performing measurements at many different values
of CH4½ �0, then plotting the observed k0ðTÞ as a
function of CH4½ �0. The slope of such a plot yields
kðTÞ.

Third-order reactions In the atmosphere, many
elementary reactions require the participation of
three molecules, and are thus strictly third order.
Important reactions such as [V] and [VI] require the
participation of a ‘third body’ (usually designated as
M) to remove the excess energy in the newly formed
product.

OHþNO2 þM ! HONO2 þM ½V�

CH3 þO2 þM ! CH3OOþM ½VI�
In the atmosphere, M is generally N2 and O2, since
these gases constitute approximately 99% of the
atmosphere. The rate expressions of such reactions
are properly written as eqn [10], in which the
participation of the third body is made explicit.

d HONO2½ �
dt

¼ kðTÞ OH½ � NO2½ � M½ � ½10�

At the higher pressures present in the lower atmo-
sphere, some such reactions are often at their high-
pressure limits: collisions withM are frequent enough
that the reaction exhibits pseudo-second-order kinet-
ics, with the concentration ofM incorporated into the
rate constant.

Sequences of Elementary Reactions

As mentioned earlier, the overall reaction mechanism
is constructed from a sequence of elementary reac-
tions. These elementary reactions must combine to
yield the observed reaction rate expression. Often in
such a sequence, a speciesX is formedas the product of
one reaction, and consumed in a subsequent reaction.
It can be shown that, if the reaction consuming X
occurs much more rapidly than its formation, the
concentration of X will be small and almost time
invariant. Here, the rate of formation of X is said to be
the ‘rate-limiting step’ in the reaction sequence, since
X is consumed as soon as it is formed. Under these
circumstances, the concentration of X is said to be in
‘steady state’. Since the majority of atmospheric
radicals are highly reactive, the analysis of their steady
state concentrations becomes important.

Consider the sequence of reactions given below
([VII]–[X]), which represent a simplified version of the
‘oxygen only’ chemistry of ozone.

O2 þ hn ! OþO ½VII�

OþO2 þM ! O3 þM ½VIII�

OþO3 ! 2O2 ½IX�

O3 þ hn ! O2 þO ½X�
The rate of change of the ozone concentration is the
difference between the rates of its formation, due to
reaction [VIII], and its consumption, through [IX] and
[X]. The rate of change of concentration the oxygen
species is likewise given by the difference between the
rates of formationanddestruction (eqns [11] and [12]).

d O3½ �
dt

¼ kVIII O½ � O2½ � M½ � � kIX O½ � O3½ �
� kX O3½ � ½11�

d O½ �
dt

¼ 2kVII O2½ � þ kX O3½ � � kVIII O½ � O2½ � M½ �
� kIX O½ � O3½ � ½12�

If the concentrations of these reactive species are time
invariant, the rates of formation and destruction are
equal and the steady state concentrations of each may
be calculated by eqns [13] and [14].

O3½ �ss¼
kVIII O½ � O2½ � M½ �
kIX O½ � þ kX

½13�

O½ �ss¼
2kVII O2½ � þ kX O3½ �

kVIII O2½ � M½ � þ kIX O3½ � ½14�
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The measured atmospheric concentrations of oxygen-
atoms and ozone are fairly constant over a time scale
of several hours, under constant illumination from the
Sun. The analysis given above, although crude, pro-
vides a useful picture for how these species’ concen-
trations depend upon altitude (through the total
pressure, related to [M] and the altitude dependence
of solar ultraviolet intensities, through kVII and kX).

Temperature Dependence of Elementary Chemical
Reactions

The rates of elementary reactions depend upon the
reagent concentrations, as discussed above, but also
on other parameters, most importantly on tempera-
ture. The T dependence of reaction rates is incorpo-
rated into k, the rate constant (more properly, the rate
coefficient). Empirically, it is often found that over the
temperature range important in the lower and middle
atmosphere kdepends onT exponentially, as shown in
eqn [15].

k ¼ Ae�Ea=RT ½15�

In this expression, Ea represents the activation energy,
R is the gas constant (8.314 JK�1mol�1), T is the
temperature in Kelvin, and A is unimaginatively
named the pre-exponential factor. Careful measure-
ments over wide enough temperature ranges reveal
that the pre-exponential factor depends weakly on
temperature, so is strictly written as AðTÞ. The
dependence is generally much weaker than exponen-
tial, however, and a temperature-independent value
for A is often used. This empirical expression may be
interpreted simply as follows: For a chemical reaction
to occur, the reagents must collide (i) with sufficient
energy to overcome any energy barrier(s) along the
reaction path, and (ii) in an appropriate geometry to
facilitate product formation. The pre-exponential
factor contains information concerning the collision
rate (dependent upon the reagent velocities, and hence
temperature) and any geometric constraints on the
reaction. The exponential term arises from consider-
ation of the fraction of collisions, under conditions of
thermal equilibrium,which possess energy in excess of
some threshold value, E0. This energetic threshold is
assumed to arise from the presence of energetic
‘barriers’ along the reaction path, due to the energetic
cost(s) of rearranging the chemical bonds. The activa-
tion energy is closely related to threshold energy; for
our purposes they may be taken as equivalent.

An alternate interpretation considers the elementa-
ry reaction to occur in two steps: In the first, the crest of
the energetic barrier is achieved; an activated complex
(or transition state) is reached. From this point, the
reaction may continue to products, or return to

reactants as an unsuccessful collision. If the activated
complexes are held to be in rapid quasi-equilibrium
with reagent species, with product formation being
rate limiting, a statistical mechanical analysis yields
the rate constant in terms of the ‘partition functions’,
Q, of the reactants (QA and QB) and the activated
complex (designated Q#). This can be expressed by
eqn [16], where kB is the Boltzmann constant (equal to
the gas constant divided by the Avogadro number) and
h is the Plancks constant.

k ¼ kBT

h

Q#

QAQB
e�E0=kBT ½16�

The partition functions depend only upon molecular
properties, such as bond lengths and angles and
vibrational energies, which may be determined spec-
troscopically or calculated theoretically, allowing
calculation of the rate constant for the reaction using
eqn [16].

This dependence of the rate constant on molecular
properties provides an explanation as well for ob-
served isotope effects in reaction rates. Often it is
found that reactions of chemically identical, but
isotopically different, species will exhibit different
rates, with the heavier isotope displaying the smaller
rate constant. The smaller vibrational frequencies, and
thus lower zero-point energy, of the heavier isotope
give rise to somewhat larger reagent partition func-
tions and higher values of E0, and hence a smaller rate
constant.

Methods for Measuring Atmospheric
Rate Parameters

Extracting Useful Parameters from Experiments

A host of methods is in current use for measuring gas-
phase reaction rates. The specific technique employed
in any particular case depends somewhat on the
particulars of the reaction being studied, and also on
the available apparatus in any given laboratory.

As may be inferred from the foregoing discussion,
the object of almost all kinetics experiments is to
determine the reaction rate coefficient, preferably as a
function of temperature, and also, in the case of
termolecular and unimolecular reactions, of pressure.
Very often this is done by following the concentration
of some reactant or product as a function of time,
generally under pseudo-first-order conditions. The
inverse of the (single exponential) time constants
obtained from fits to plots of concentration against
time are then plotted as a function of the concentration
of the reagent held in excess. This yields the true
second-order rate coefficient at a given temperature.
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Figure 1 illustrates this situation for a hypothetical
reaction betweenOHand an unspecified hydrocarbon
molecule, RH, at room temperature. The reaction of
OH with propane, given as reaction [III] above, is an
example of such an OH 1 RH reaction. Figure 1A
shows three plots of the decay of OH as a function of
time, following its creation at time t ¼ 0. The OH
concentration is at all times much smaller than that of
RH, ensuring that pseudo-first-order conditions are
maintained. Curve (i) displays the decay for a low
concentration of RH; curves (ii) and (iii) display

decays for successively higher RH concentrations. All
three exhibit single exponential decays, as required for
straightforward pseudo-first-order analysis. Figure 1B
shows the exponential decay constants obtained from
data like those in Figure 1A, plotted as a function of
RH concentration; the slope of this linear fit gives the
bimolecular rate coefficient at room temperature.
Note the existence of a finite (positive) intercept,
indicating a finite rate of disappearance of OH in the
absence of RH. This loss of reagent may be due to a
combination of wall reactions, reactions of OH with
impurities, and self-reaction of OH.

Modern experiments yield measurement uncertain-
ties of 5–10% on the rate coefficient at any given
temperature. Uncertainties are generally larger at
lower temperatures, where the reaction rate is smaller
for most reactions. The agreement between different
laboratories is usually within 10–20% for uncompli-
cated reactions.

Experimental Techniques

Clearly, the technical issues in measuring reaction
rates are: (a) to generate reactive species at some well-
defined time t ¼ 0; (b) to measure accurately the
reactant (or product) concentrations as a function of
time, over the course of the reaction; and (c) to
minimize losses of reagent due to processes other than
the reaction of interest. Implicit in (b) is the absolute
identification of the species whose concentration is
being followed. A later section will briefly discuss
spectroscopic methods of detection.

Flow tubes There are two techniques in common use
for fairly fast reactions (i.e., those with rate coeffi-
cients greater than 10�15–10�16 cm3mol�1 s�1). The
flow tube method has several variants, all of which
share the same basic principles. Reacting gases are
entrained in a fast flowof an inert gas (He orN2) at low
pressure (a few mbar) passing down a cylindrical tube
at constant velocity. One of the reagents is introduced
into the flow through a concentric inner tube (the
injector), whose longitudinal position may be varied.
The zero-of-time is established when the reagents first
come into contactwith one another; therefore, varying
the position of the injector also varies the exposure of
the reagents to one another along the length of the flow
tube. Since the reacting mixture moves down the flow
tube at constant (known) velocity, contact length is
related to exposure time. The disappearance of
reagent(s) and/or growth of product is measured, for
example, by optical spectroscopy or mass spectrome-
try as a function of injector position (and hence
exposure time) in a volume near the end of the
flow tube, before the gas flow enters the pump.
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Figure 1 Extraction of a bimolecular rate coefficient from

experimental pseudo-first-order reaction conditions, using the

OHþ RH ! H2Oþ R reaction as an example. (A) Decay of OH

as a function of exposure time to RH. Curves (i), (ii) and (iii) display

the result for increasing RH concentration. (B) The pseudo-first-

order rate coefficient obtained from fits to data such as that shown

in (A), plotted as a function of the (constant) RH concentration. The

slope of the linear fit to these data gives the true second-order rate

coefficient.
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Figure 2 illustrates diagramatically a typical flow tube
apparatus.

In such methods, reactive atomic or radical species
are generated continuously, most often by passing a
precursor gas through a plasma generated by a
microwave or radiofrequency discharge. This gener-
ates atomic reagents directly (i.e., O or H atoms from
O2 or H2, respectively); these may then react to form
radicals, via processes such as reactions [XI], [XII] or
[XIII], when additional coreactants are introduced
into the flow tube.

HþO2 þM ! HO2 þM ½XI�

HþO3ðorNO2Þ ! OHþO2ðorNOÞ ½XII�

Fþ CH4 ! HFþ CH3 ½XIII�
The radical concentrations are generally between one
and three orders ofmagnitude smaller that those of the
molecular reagents, so that apseudo-first-order kinetic
analysis is often possible with ‘normal’ concentrations
of the coreactant.

Recent developments in this technique include the
ability to measure simultaneously the concentrations
of two radical reagents (and thus to determine radical–
radical reaction rates) and the use of higher pressure
flow tubes (up to several hundreds of mbar), which
allow recombination and other termolecular rates to

be measured over a wider pressure regime than
hitherto.

Flash photolysis Another commonly used method
also has several variants; all are based on the early
flash photolysis work of Norrish and Porter.
Reactive species are generated in a reaction volume
by photodissociating a suitable precursor molecule
using a short (r1ms) pulse from a laser or flash-
lamp (almost always a laser nowadays). For example,
methyl radicals are generated efficiently by the
photolysis of acetone using the 10 ns pulse from a
193 nm wavelength ArF excimer laser (reaction
[XIV]).

ðCH3Þ2COþ hn ! 2CH3 þ CO ½XIV�
Similarly, OH may be formed via the 248 nm KrF
excimer laser photolysis of nitric acid (reaction [XV]).

HNO3 þ hn ! OHþNO2 ½XV�
The precursor species is present in a well-mixed gas

mixture, which also contains the second reagent and
generally a buffer gas as well. The buffer gas is present
to thermalize the photodissociation products prior to
reaction. Unless radical–radical reactions are being
studied, the photolysis conditions are maintained such
that the concentrationof radicals remainsmuch smaller
than that of molecular reagents. The zero-of-time

GR GR

MW D

Inj

P

TDL

To pump

Figure2 Schematic of a flow tube apparatus. Reagents and a carrier gas are introduced from the gas reservoirs (GR) into the flow tube.

One reagent is introduced through themovable injector tube (Inj). The other gas flowpasses through amicrowave discharge cavity (MW),

where an atomic or radical reagent is formed from its precursor compound. The concentration of radical reactant (or of product) may be

monitored using the tunable diode laser (TDL)–detector (D) combination. The total pressure in the flow tube is monitored at point P.
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is established by the pulse of light that creates the
reactive species, and the decay of the radical concen-
tration (or the growth of product species concentra-
tion) is followed as a function of time following that
pulse. Measurements are typically made using time-
resolved optical spectroscopic methods such as tran-
sient absorption or laser-induced fluorescence (LIF)
spectroscopy. These methods are discussed below.
Experiments using LIF detection (often called the
pump and probe method), there is a variable delay
time between the firing of the radical-generating laser
and the firing of the probe LIF laser, allowing a
variable exposure time of the reagents to one another
prior to their interrogation. Following each pulse–
probe cycle, the reaction volume may be replenished
with fresh reactants.

Recent developments in this method include the
application of time-resolved Fourier-transform tech-
niques, especially Fourier transform infrared spectro-
scopy (FTIR), with increasingly higher time resolution
and sensitivity, and the use of cavity ring-down
detection in absorption measurements, with the po-
tential to increase detection sensitivity bymany orders
of magnitude.

Relative rate determinations Often, it is more con-
venient to measure the relative rate of reaction of two
reagents with a third reactant, rather than perform an
absolute rate determination. For instance, slower
reactions may suffer from significant artifacts such
as wall reactions, but their rate constants may be
measured with quite reasonable precision (although
not necessarily with great accuracy) in this manner.
For a simple set of two competing reactions [XVI] and
[XVII], it is possible to derive a simple relationship
between the concentrations of the reactants and their
rate constants, as shown by eqn [17].

AþX ! P1 ½XVI�

Aþ Z ! P2 ½XVII�

ln X0=Xtð Þ ¼ kX=kZð Þ ln Z0=Ztð Þ ½17�
Here X0 and Z0 represent the respective concentra-
tions at t ¼ 0, Xt and Zt give the concentrations at
time t, and kX and kZ represent the two rate coeffi-
cients. If one of the rate coefficients is known
independently, the other may be determined in this
way. Note that the concentration of reactant A need
not be measured at all; a similar relationship may be
derived for the two product concentrations, meaning
that the experimenter maymonitor either of the ratios
½X�=½Z�or ½P1�=½P2�, depending on convenience, detec-
tion sensitivity, or other experimental factors.

Spectroscopic Detection Methods

Here we present a brief overview of the various
methods in common use at the time of writing. All
spectroscopic methods rely upon the resonant absorp-
tion or emission of radiation in a wavelength region
characteristic of the species being detected. The
absorption and emission of radiation by atoms and
molecules only occurs in particular spectral regions,
corresponding to the energy differences between
quantum levels. The amount of radiation absorbed
by a sample of molecules or atoms at a particular
wavelength l depends upon an absorption intensity
factor eðlÞ, which is specific to the atom or molecule
and is somewhat dependent upon the temperature, the
path length of interaction between the light and the
sample, l, and the concentration of absorbing species,
c. Under appropriate experimental conditions the
inverse of the fraction of incident light transmitted at a
particular wavelength, I=I0ð Þ, can be related to the
concentration of absorbers, by the Beer–Lambert law
(eqn [18]).

ln I0=Ið Þ ¼ e lð Þlc ½18�

As long as the fraction of incident light which is
absorbed remains small (i.e., less than about 20%),
this expression may be manipulated to relate the
fraction of light absorbed, AðlÞ to the absorber
concentration, as shown in eqn [19].

A lð Þ ¼ e lð Þlc ½19�

The relationship between the amount of light
absorbed and concentration, if known, may be
exploited to determine the absolute concentrations
of reacting species as they change in time during a
reaction. Several implementations are in common use.
In direct absorption spectroscopy the absorption,
AðlÞ, is recorded, either at a specific wavelength, or
as a function of wavelength, yielding an absorption
spectrum. In flow tubemethods, this may take place in
a sample cell through which the reacting flow passes
downstream of the mixing region; in flash photolysis
methods, the absorption is recorded as a function of
time after the initial pulse. This variation is commonly
known as transient absorption spectroscopy. In its
simplest form, a single wavelength, corresponding to a
particular absorption feature, is transmitted through
the sample, using resonance lamps or lasers. The time-
resolved change in the intensity of this source after it
has passed through the sample is measured following
the initiation of reaction. Depending upon the exact
experimental configuration used, the time resolution
can be very good (up to 10�12 s); more typically it lies
in the range 10�6–10�4 s. This technique is readily
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coupled to long path-length absorption cells to yield
very sensitive concentration measurements. Modern
variations involve the use of tunable diode lasers
(TDLs) and cavity ring-down (CRD) systems. Under
some fortunate circumstances, a multiwavelength
technique such as FTIR may be used to identify all
reactants and products simultaneously as the reaction
proceeds. However, the sensitivity is not particularly
high, nor is the time resolution, so this method is
generally limited to slower reactions, often those being
studied in environmental chambers.

A more sensitive, but less general spectroscopic
probe of concentrations involves the measurement of
some quantity related to the amount of light absorbed.
Many atoms and molecules re-emit some fraction of
the initially absorbed light, often at a wavelength
shifted away (to the red) of the absorbing wavelength.
This re-emission forms the basis of resonance fluores-
cence (RF) spectroscopy and of laser-induced fluores-
cence (LIF) spectroscopy. The fraction of the light
absorbed by a sample that is re-emitted depends upon
many variables, but remains constant if experimental
conditions do not change. The intensity of emitted
light is thus a very sensitive proxy for the amount of
absorption. Although it is extremely difficult to relate
the emission intensity to absolute concentrations, the
time dependence of emission intensity does track that
of concentration, so that rates may be determined.

In RF spectroscopy, an atomic resonance lamp
optimized for atomX is used to illuminate the sample;
resonance emission is observed from any atomic X
which is present. Reactions of atomic species such as
Cl and ground state O have been studied using such
lamps. LIF spectroscopy generally utilizes a tunable
laser source to scan over the absorption spectrum of a
molecule of interest. When the laser wavelength is
resonant with a molecular absorption transition,
emission from the excited molecules may be observed.
The OH radical is especially well suited to LIF
detection, and this is the method of choice in studying
its kinetics.

Another detection method that is based on measur-
ing emission intensity relies upon the formation of
electronically excited products from a chemical reac-
tion. The emission of light from such excited products
is known as chemiluminescence; its intensity is related
to the concentration of electronically excited products

formed in the reaction. For example, the time depend-
ence of the concentration of ground state oxygen
atoms may be followed by detecting emission (see
reaction [XIX]) from electronically excited NO2,
formed in the chemiluminescent reaction [XVIII].

OþNOþM ! NOn

2 þM ½XVIII�

NOn

2 ! NO2 þ hn ½XIX�
Other spectroscopic detection methods, which are

no longer in such common use, include laser magnetic
resonance (LMR) and electron spin resonance (ESR)
spectroscopy. Both rely upon the ability of an external
magnetic field to perturb the energy levels of an atom
or molecule. By varying the magnetic field strength,
optical transitionsmaybebrought into resonancewith
a fixed-wavelength light source, allowing light ab-
sorption (and hence detection) to occur.

See also

Chemistry of the Atmosphere: Chemical Kinetics; Gas
Phase Reactions; Ion Chemistry. Observations for
Chemistry (In Situ): Chemiluminescent Techniques;
Gas Chromatography; Resonance Fluorescence.
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Introduction

In meteorology and oceanography we regard our fluid
as a continuum – a continuous distribution of mass in
space. In so doing, the atomic or molecular nature of
the fluid is neglected and this implies that any small
volume element is always supposed to be sufficiently
large that it still contains a huge number of molecules.
Accordingly, when we speak of an infinitesimal
volume element – or a fluid ‘parcel’ – we mean that it
is small compared with the volume of the system but
still sufficiently large to contain very many molecules.

The adoption of the continuum description is the
first step towards specifying how we solve the funda-
mental problem of the science of kinematics for our
fluid; i.e., the specification of suitable methods for
describing and analyzing fluid motions. The problem
of kinematics, for any given physical system, should be
distinguished from that of dynamics, which is con-
cernedwith determining the state and/ormotion of the
system at any instant. It is common practice to refer to
the combined science of kinematics and dynamics as
mechanics.

There are two common descriptions of continuum
motion (both due originally to Leonhard Euler (1707–
83)). In the first method, known as the Lagrangian
method, we fix our attention directly on the fluid
parcels and study their motion through space. Unless
otherwise stated, we shall consider motions in a three-
dimensional space. The independent variables are a set
of particle labels a ¼ ða; b; cÞ and time t. The depend-
ent variables are the coordinates

xða; tÞ ¼ ðxða; tÞ; yða; tÞ; zða; tÞÞ ½1�

of the fluid parcel identified by ða; b; cÞ. At any given
time there is a one-to-one correspondence between the
coordinate systems a and xða; tÞ. We assume that each
fluid parcel, which really refers to an imaginary piece
of the continuum, is uniquely defined by values of the
labels a for all time. If x is a suitably differentiable
function of its arguments, then the velocity of a parcel
is given by v ¼ ðqx=qtÞa ¼ ðu; v;wÞ and the accelera-
tion by ðq2x=qt2Þa, where the subscript a means that
the time derivative is evaluated on a parcel (a constant
value of a). (In conventional point-particle mechanics,
we are accustomed to assigning a position vector, ri
say, to the ith particle; the continuous label a in fluid

mechanics is the generalization of the discrete label i.)
Lagrangianmechanics is the basis for many important
conceptualmodels of fluid flow. In the secondmethod,
known as the Eulerianmethod,we fix our attention on
a region of space and study the motion of fluid relative
to that region. That is, the independent variables are
the space coordinates x ¼ ðx; y; zÞ and time t, and the
dependent variables are most commonly taken to be
the velocity vðx; tÞ, the mass density rðx; tÞ, and the
pressure pðx; tÞ. From the density and pressure all
other thermodynamic quantities can be determined,
provided the equation of state is known.

The time derivative of an arbitrary quantity
Aða; tÞ ¼ Aðxða; tÞ; tÞ (where we have used the same
symbol to denote two different functions) measured in
the two descriptions is related by the chain rule

qA
qt

����
a

¼ qA
qt

����
x

þ qx
qt

� qA
qx

¼ qA
qt

����
x

þu
qA
qx

����
y;z;t

þv
qA
qy

����
x;z;t

þw
qA
qz

����
x;y;t

� DA

Dt

½2�
which illustrates the relationship between the familiar
material or substantial derivative, D=Dt, and ðq=qtÞa.
The relationship ðq=qtÞa ¼ D=Dt tells us why the
material derivative is often referred to as the ‘deriva-
tive following a parcel’.

The Lagrangian description of fluid kinematics and
dynamics, and related topics, are the subject of this
review. The Eulerian description is adopted by most
textbooks, but there are many fundamental principles
in fluid dynamics that are inherently Lagrangian in
nature. To illustrate this point, consider the continuity
equation in Eulerian form

qr
qt

����
x

þ= � rvð Þ ¼ 0 ½3�

where, unless otherwise stated, = is the usual gradient
operator in three-dimensional space. This familiar
equation arises from the requirement that fixed
volumes in particle label space always contain the
samemass. That is, ifwe assign labeling coordinates so
that xða; 0Þ � a at some initial time t ¼ 0, then the
mass contained in the small volumed3xða; 0Þof fluid at
xða; 0Þ is given by rðxða; 0Þ; 0Þ d3xða; 0Þ ¼ rða; 0Þ d3a.
This defines the density, r, which we may consider as
either a function of Lagrangian labels, a, or Eulerian
positions, x. At a later time t, we must have
rðxða; tÞ; tÞ d3xða; tÞ ¼ rða; 0Þ d3a. If we define the
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specific volume, a, as the Jacobian

a � q xð Þ
q að Þ ½4�

then the conservation of mass is given by
rðxða; tÞ; tÞa ¼ rða; 0Þ. For an incompressible fluid
we have a ¼ 1 (which corresponds to = . v ¼ 0 in the
Eulerian description). It is now possible to show that
ðqa=qtÞa ¼ a= . v,which in turn canbe expressed in the
form [3].

Variational Principles and
Conservation Laws

In writing down variational principles for fluid
systems, one is immediately faced with the choice of
adopting either Lagrangian or Eulerian kinematics.
Occasionally, it is convenient to change between these
representations when performing calculations. In this
section we shall review one of the most important
features of the Lagrangian description: a connection
between an invariant property of this representation
and the conservation of a meteorologically significant
quantity, potential vorticity.

Hamilton’s Principle and Noether’s Theorem

We begin by discussing a finite-dimensional problem.
Consider a system of n point-particles, with masses
mi ði ¼ 1; . . . ; nÞ and locations xiðtÞ, moving under
the influence of some potential VðxiÞ. Newton’s
second law of motion for such a system is

mi
d2xi
dt2

þ qV
qxi

¼ 0 ½5�

Hamilton’s principle is a variational principle equiv-
alent to Newton’s second law, and it states that the
action

S �
Z t1

t0

L dt ½6�

is stationary, where the Lagrangian

Lðx; .xÞ � T � V

is the difference between the kinetic energy T and
the potential energy V of the system. Hamilton’s
principle thus states that the variation of the action [6]
vanishes for arbitrary, independent variations dxiðtÞ
that vanish at t1 and t0. Since dxiðt1Þ ¼ dxiðt0Þ ¼ 0,we
have Z t1

t0

� d

dt

qL
q .xi

� �
þ qL
qxi

� �
. dxi dt ¼ 0 ½7�

for all i, where the overdot denotes d=dt.Newton’s law
follows as a consequence of the arbitrariness of dxiðtÞ,
and the specific form [5] follows from the functional
dependence of the potential energy V on xi alone, and
the usual expression for the kinetic energy

T ¼ 1

2

Xn
i¼1

mi
.
xi
.
xi ½8�

There is a fundamental connection between certain
invariant properties of Lagrangians and the conserva-
tion laws for dynamical systems. This connection is
embodied in Noether’s theorem, which requires con-
siderable expertise in group theory to understand
completely. We shall therefore restrict ourselves to a
didactic description. Noether’s theorem applies to the
equations that arise from variational principle like
Hamilton’s principle. According toNoether’s theorem
(1918): If a variational principle is invariant to a
continuous transformation of its dependent and inde-
pendent variables, then the equations arising from the
variational principle possess a conservation law.

Example. Let us assume that a system has kinetic
energy of the form [8], but the potential is independent
of x (but still dependent on y and z, say). Therefore the
Lagrangian is invariant with respect to small varia-
tions in x. The integrand of eqn [7], the so-called
Euler–Lagrange equation,

d

dt

qL
q .x

� �
� qL

qx
¼ 0 ½9�

then yields, assuming independence of x,

qL
qx

¼ 0 ) d

dt

qL
q .x

� �
¼ 0

This is the statement that the x-component of
momentum,m

.
x, is conserved.

Application to Fluid Mechanics: Theorems
of Ertel and Kelvin

The fundamental meteorological-cum-oceanographic
principle of the conservation of potential vorticity can
be traced to the invariance of variational principles for
hydrodynamical flows under certain variations of the
particle labels, da.

Let xða; tÞ be the location of the fluid particle
identified by labeling coordinates a ¼ ða; b; cÞ at time
t. The Lagrangian for a perfect fluid is

L ¼
Z

d3a 1
2

.
x2 � E a; S að Þð Þ� 	 ½10�

where the internal energy Eða; SÞ is a prescribed
thermodynamic function of the specific volume, a,
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and the specific entropy, SðaÞ. The entropy is a
Lagrangian conserved quantity. The integration over
a measure in particle-label space,

R
d3a, replaces the

discrete sum Si, and the overdot is the time derivative
ðq=qtÞa.

Hamilton’s principle states that

d
Z

L dt ¼ 0

where d stands for arbitrary independent variations
dxða; tÞ, and implies

€xxþ a=p ¼ 0 ½11�
where p ¼ �qE=qa is the usual thermodynamic equa-
tion relating pressure to internal energy and it may be
considered the equation of state. Equation [11] is the
momentum balance for a perfect fluid.

The Lagrangian is unaffected by particle-label
variations daðx; tÞ that leave the density and entropy
unchanged. For the purposes of the following calcu-
lation, we shall assume that the particle labels enter
only through the specific volume, which is equivalent
to the assertion that the fluid is homentropic:
E ¼ EðaÞ. (The results can easily be generalized to
nonhomentropic fluids where E ¼ Eða; SÞ.) Consider
variations daðx; tÞ, of eqn [10], that leave the density
and entropy unchanged. Then

d
Z

L dt ¼
Z Z

dt d3a
qx
qt

� qdx
qt

¼ �
Z Z

dt d3aA � q dað Þ
qt

½12�

where

A ¼ u=axþ v=ayþw=az ½13�
=a is the gradient operator in particle-label space, and
we used the chain rule for partial derivatives to go
from the second term to the third term in eqn [12].
After integration by parts, noting that daðx; tÞ is
arbitrary, one can show that

q=qt =a�Að Þ ¼ 0 ½14�
Equation [14] is a general statement of vorticity
conservation. Let yðaÞ be any quantity that is con-
served on fluid particles. Then

q=qt =a�Að Þ .=ay½ � ¼ 0 ½15�
Using eqns [4] and [13] we have

=a�Að Þ .=ay ¼ a =�vð Þ .=y ½16�
and, from eqns [15] and [16], the statement

q=qt a =�vð Þ .=y½ � ¼ 0 ½17�

expresses the conservation of potential vorticity –
Ertel’s theorem.

Now consider any closed loop in a-space. By eqn
[14], it follows that

q=qt
I

A . da ¼ 0 ½18�

But A . da ¼ v . dx by eqn [13], and the statement

q=qt
I

v . dx ¼ 0 ½19�

is Kelvin’s theorem.

Reduction of Order

The state of a perfect fluid at a fixed time t corresponds
to a point in an infinite-dimensional phase space in
which each dimension represents the value of one
component of vðaÞ or xðaÞ at a fixed value of a. The six
Lagrangian fields

v að Þ; x að Þf g
uniquely determine the five Eulerian fields

v xð Þ; r xð Þ; S xð Þf g
However, each choice of v xð Þ; r xð Þ; S xð Þf g corre-
sponds to infinitely many choices of vðaÞ; xðaÞf g.
Thus the Eulerian description is a reduced phase space
for the fluid.A group-theoretic picture of the reduction
from Lagrangian to Eulerian variables gives a more
rigorous description, but this fundamental topic is a
subject for further reading.

Numerical Techniques

Lagrangian thinking manifests itself in the design of
numerical methods. Here we give a brief review of
two schemes: semi-Lagrangian techniques which are
widely used and a novel Lagrangian approach to the
semi-geostrophic frontogenesis model – the so-called
geometric method.

Semi-Lagrangian Schemes

Semi-Lagrangian schemes are important because they
offer the promise of allowing longer time steps, with
no loss of accuracy, than Eulerian-based advection
schemeswhose time step is limited by stability criteria.
These issues are of practical importance in numerical
weather prediciton.

To illustrate the essential ideas, let us consider
a simple one-dimensional advection equation in
Eulerian form

qA
qt

þ u
qA
qx

¼ 0 ½20�
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where Aðx; tÞ is the transported quantity. The appro-
priate Lagrangian form of eqn [20] is the pair of
equations

dA

dt
¼ 0 ½21a�

dx

dt
¼ u ½21b�

Equation [21a], states that A is conserved along the
trajectory, which is in turn given by the eqn [21b].
We seek to integrate eqn [21a,b] by gridpoint
techniques. (This is the origin of the term ‘semi’ in
semi-Lagrangian – the combination of Lagrangian
mechanics with Eulerian gridpoint techniques.) LetDt
denote a time step and let n label the time steps. For
each point on the grid we approximate the trajectory
that would arrive at that point at time ðnþ 1ÞDt using
the wind u at time n.We refer to the point at which the
forecast is made as the arrival point (A) and the point
from which the trajectory departed at time ðn� 1ÞDt
the departure point (D). The point in the middle of the
trajectory at time nDt is called the midpoint (M). The
departure point is determined by approximating eqn
[21b] with

xD � xA
�2Dt

¼ u xMð Þ ½22�

The midpoint, at which u is needed in eqn [22], is
obtained by a similar expression

xM � xA
�Dt

¼ u xMð Þ ½23�

which is implicit since u at xM cannot be determined
until xM is known. This requires an iterative process in
which the next guess of xM on the left is based on u at
xM from the previous iteration. Once xM is found, the
departure point calculated from eqns [22] and [21a]
yields

A xAð Þnþ1¼ A xDð Þn�1 ½24�

Typically the departure points and midpoints will not
coincide with grid points. The values of A and u at
these points must be found by interpolation from
neighboring points and the scheme is stable provided
the interpolation is based on data points surrounding
the departure point (or midpoint). There is essentially
no time step restriction and thus, near the poles of a
global model where grid lines converge, the departure
point may be many grid intervals away from the
arrival point without being unstable.

Geometric Method

The geometric method was born out of an attempt to
demonstrate the value of a Lagrangian approach to
understanding the dynamics of rotating, stratified
fluids. It is a novel technique for integrating the semi-
geostrophic equations that involves dividing the
atmospheric domain into elements, each characterized
by a certainmass, potential temperature, and absolute
momentum. Applications of the geometric method
include modeling frontogenesis, embedded convec-
tion, sea breezes, andflowover orography. Someof the
advantages of the geometricmethod include the ability
to handle a frontal discontinuity, no eddy diffusion
requirement and, in principle at least, mountain
barrier effects (e.g., drag) can be represented without
parameterization. An example of a ‘tropopause fold’,
constructed via the geometric method with 105

elements, is illustrated in Figure 1A.
The geometric method may be summarized as

follows. Consider a domain D with coordinates
ðx; y; zÞ, taken to represent a region of the Northern
Hemisphere (y pointing polewards). Let C be a cross-
section

C ¼ x; zð Þ: �L � x � L; 0 � z � Hf g
(where typical values of L andHmay be 1000 km and
10 km, respectively). The geometric method dis-
cretizes the fluid in C into ‘parcels’ of equal area Ci,
so that C ¼Pi Ci. To the ith parcel is associated a
value of ‘absolute momentum’ Mi ¼ ðvg þ fxÞi and a
value of potential temperature yi. Here, vg is the
y-component of the geostrophic wind vg ¼
ð1=f Þqf=qx;fðx; zÞ is the geopotential function, and
f is the constant Coriolis parameter. One can show
that a convectively and inertially stable arrangement
of the fluid parcels can be represented uniquely by a
convex function P x; zð Þ ¼ 1

2 f
2x2 þ f (sometimes re-

ferred to as the ‘modified geopotential’ or ‘modified
pressure’), such that each elementCi can be associated
with a plane whose height ‘above’ the (x; z)-plane at
any point corresponds to the value of P at that point.
The intersection of these planes defines a piecewise
planar solution Pðx; zÞ (Figure 1B). Themomentum of
each parcel, Mi, and potential temperature of each
parcel, yi, are proportional to the gradients of Pðx; zÞ
with respect to xi and zi, respectively.

The constraint that P be a convex function is crucial
to the solution procedure. It allows us to write the
physical solution as the supremum of a family of
generating surfaces

P x; zð Þ ¼ maxi xMi þ zyi þ Sif g ¼ maxPi

where Pi denotes themodified pressure plane of the ith
element and Si the point of intersection on theP-axis of
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a plane in (x; z;P)-space. In a physical problem
involving time integration, we begin with a set of
values Ci, Mi, yi, and Si. The construction algorithm
requires the determination of the set of Si values such
that the element areas are correct – a process that must
be carried out iteratively. If the domain boundary is
fixed or a known function of time, onemay regard Si as
a function of Ci, Mi, and yi. In the classical fronto-
genesis problemwhere a pure barotropic deformation
field is imposed the governing Lagrangian equations
take the form

DMi

Dt
¼ �ZMi;

DCi

Dt
¼ �ZCi;

Dyi
Dt

¼ Fi ½25�

where Z is the deformation rate and Fi is a forcing
function (which is zero in the frontogenesis problem
under consideration). Therefore, at any future timeCi,
Mi, and yi are known and the solution can be found by
determining Si.

Lagrangian Analysis

The description of weather systems and ocean eddies
has always utilized the Lagrangian description of the
flow. Examples include synoptic developments in
terms of air masses (dating back to the Bergen School
in the early twentieth century), the parcel theory of
convection, and the description of the dynamics of
precipitation systems in terms of conveyor belts. The
power of the Lagrangian description in these contexts
is the conceptual simplification achieved by burying
the nonlinearity of the material derivative D=Dt in the
Jacobian of the map between particle labels and
Lagrangian positions: a ¼ qðxÞ=qðaÞ (cf. eqn [4]).
However, whenever we wish to carry out a theoretical
analysis of hydrodynamical flows the Eulerian frame-
work is the most commonly used vehicle. In this
section we give a brief resumé of a Lagrangianmethod
of analysis that, although hitherto not widely used,
offers a powerful technique for analyzing, for
example, the conceptually simple (yet analytically

(B)

(A)

P z

x

�1M1

�5M5

Solution-surface P (x, z)

z

x

�2M2

�4M4

�3M3

Figure 1 (A) Projection of a polyhedral surface Pðx ; zÞ onto the ðx ; zÞ-plane. The front is modeled as a discontinuity in the gradients of

the faces that make up the piecewise planar surface. (B) Construction of a convex polyhedral surface Pðx ; zÞ from faces with given

gradients ðyi ;Mi Þ and areas.

1102 LAGRANGIAN DYNAMICS



difficult in the Eulerian setting) problems of transpor-
tation along particle trajectories.

Atmospheric Dynamics and Rearrangements

A concept that arises naturally when considering the
Lagrangian description of fluid motion is that of the
rearrangement of the fluid by the material derivative.
The action of the D=Dt operator on an arbitrary
quantity A is to advect, or rearrange, it. Consider for
example a conserved quantity, such as potential
vorticity q ¼ r�1f � =y, that retains its value following
a fluid particle. Here, r is the fluid density, y the
potential temperature, and f the total vorticity.As time
advances the fluid particles are permuted or rear-
ranged, but each particle retains its original value of q.

Atmospheric cyclones and anticyclones, and ocean
eddies, can be idealized as the stratified, rotating
coherent structures that correspond to circular vor-
tices in ordinary two-dimensional Euler flow. Their
interaction and evolution, which play a major role in
weather developments and in the behavior of ocean
eddies, have been much studied using approximations
to Newton’s second law of motion. These approxi-
mate models seek to describe flows in which there is a
dominant balance between the Coriolis, buoyancy,
and pressure-gradient forces. Such approximations to
Newton’s second law are commonly referred to as
balanced models. Many such models can be described
in terms of the Lagrangian conservation of potential
vorticity by an equation

Dq

Dt
¼ 0

together with a so-called invertibility principle

E v; y; pð Þ ¼ q ½26�
that relates the wind field v, pressure p, and potential
temperature y to the potential vorticity. Typically, E
will be an elliptic operator, which may be nonlinear,
and certain boundary conditions must be specified. A
relationship between the wind, temperature, and
pressure fields is known as a balance condition, which
is required to define the relationships implicit in eqn
[26]. Examples of models that can be formulated in
this way are the barotropic vorticity equation, quasi-
geostrophic theory, and semi-geostrophic theory. The
solutions to all these models can be described as
rearrangements of the initial potential vorticity distri-
bution, and because the advecting velocity is con-
strained by the invertibility procedure, progress in
understanding features such as existence and unique-
ness and the topological properties of solutions can be
made because the elliptic operator governs the type

of rearrangement that can be reached from given
initial data.

The precise definitions of a rearrangement of
functions (both scalar-valued and vector-valued) re-
quire concepts from measure theory, and as such have
very precise technical definitions. However, the tech-
nical nature of the definitions is extremely important,
since it gives a firm basis to the mathematical analysis.
Bearing this in mind, we will give an intuitive
definition. Consider a region, D, spanned by the
coordinates (x; y; z) and let f ðxÞ be a function defined
on this region (e.g., moisture or potential vorticity).
Within the region we have our fluid with Lagrangian
coordinates (a; t) and let us assume we can attach
values of the function f to each fluid particle, thereby
giving us a function Fðx; t0Þ, at some reference time t0.
As the state of the fluid evolves according to a
dynamical model, at a later time t1 we have a new
functionGðx; t1Þ, which we call a rearrangement of F
if the two functions satisfy a certain equivalence
relationship between the ‘sizes’ or ‘volumes’ of the sets
onwhich F andG take values greater than or equal to a
datum value, for all real positive datum values. An
example of two functions F andG that are rearrange-
ments according to this definition is given in Figure 2.

Possible applications of rearrangements include
numerical methods in which the goal is to model the
evolution of a quantity such as potential vorticity as
accurately as possible. In variational data assimilation
it may be useful to work with Lagrangian increments,
instead of Eulerian perturbations, in which minimiza-
tion is carried out over certain classes of ‘dynamically
accessible’ rearrangements. Rearrangements can be
used to compare two functions of spatial variables and
as such there may be applications in the future to
forecast verification techniques.

A significant achievement of rearrangement theory
to date is its application to the study of the stability of
steady states. Steady states can be characterized as
stationary points of the energy with respect to

� �

x
101

1

0

F G

Figure 2 Two rearrangements F and G; the area of the shaded

regions is the same for every value of the datum point a.
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rearrangement perturbations, which is not possible if
Eulerian perturbations are used.

See also

Dynamic Meteorology: Balanced Flows; Potential Vorti-
city. Hamiltonian Dynamics. Kinematics. Numerical
Models: Methods. Tracers. Wave Mean-Flow Inter-
action.
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Introduction

Each winter, lake-effect storms develop on the down-
wind shores of the North American Great Lakes, as
arctic winds blow across the relatively warm water.
The associated clouds and snow (or rain) showers tend
to organize in narrow bands, usually only a few
kilometers wide but sometimes over 200 km long.
There may be one band, or there may be asmany as 10
or 20, each separated from the next by only a few
kilometers of clear sky. These bands may remain
stationary over a region or they may oscillate in
snakelike fashion. They may produce nothing more
than one or two centimeters of snow, or they may
dump over 120 cm of snow in a single storm. These
lake-effect storms are primarily a product of relatively
simple air mass modification by warm water, compli-
cated lakeshore geometry, and the prevailing synoptic
situation.

Lake-effect storms develop in other parts of the
United States, Canada, and the world, but nowhere
else do they occur as frequently or with such intensity
as they do in the Great Lakes region. The reasons for
the unique weather in the Great Lakes region can be
traced to several geographic aspects. The fact that the

Great Lakes are the largest single source of fresh water
in theworld (except for the polar ice caps), the fact that
the Great Lakes are situated approximately halfway
between the Equator and the North Pole, the fact that
Great Lakes are located in the interior of a large
continent, the fact that each of the lakes is approxi-
mately the size of a small inland sea, and the fact that
there are several lakes – separated from each other by
distances less than their own size, make for some very
unique weather in the region. These characteristics
suggest that the lakes rarely freeze over completely,
even in the coldest ofwinters, and thus remain a nearly
continuous and very large source of heat andmoisture
for the atmosphere. Lake-effect storms continue to be
a forecast challenge despite improvements in numer-
ical mesoscale models because of their meso-g/meso-b
scale size.

Climatology

Lake-effect snow accounts for 25–50% of the total
annual snowfall in many lakeshore regions (Figure 1).
The snowbelts (areas of heavier snow) that shoulder
the southern and eastern shores of the Great Lakes
reflect the direction of the prevailing north-westerly
flow relative to the orientation of the lakes, the sharp
contrast in surface friction between the relatively
smooth lake surface and the rough land, and terrain
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effects. The largest snowfall totals exist across
the upper peninsula of Michigan, where north-west-
erly flow across Lake Superior is forced upward
abruptly over steep terrain upon reaching the northern
coast of the upper peninsula – especially around
the Keewanaw Peninsula, and across the Tug Hill
Plateau in western New York, where west-south-
westerly flow across the lower lakes provides a long
fetch and ample opportunity for the air to be
moistened and destabilized. In both of these locations,
long fetches and orography are key aspects. Terrain
can enhance individual snowstorm totals by about
5 cm for every 100m of rise. Additionally, portions of
the lakeshore with enhanced concavity promote con-
vergence zones that can further enhance snowfall
totals. Heavier lake-effect amounts fall typically
during cold winters, when the lake–air temperature
differences are enhanced.

Lake-effect snow falls almost exclusively during the
unstable season – that portion of the year when the
lakes are climatologicallywarmer than the ambient air
and thus provide heat and moisture to the lower
atmosphere to destabilize it. Enhanced cloudiness and
precipitation exist across much of the lake shore
regions and far inland as well. The percentage of
cloudy days peaks inNovember formany places of the
Great Lakes region – owing in part to significant lake-
enhanced cloudiness. Precipitation during the unsta-
ble season begins typically with episodes of nocturnal
rain showers during cool nights in late August. As the
mean air temperature drops through the fall months,
lake-effect rain showers change to lake-effect snow
showers. Much of the lake-effect snow falls typically
between November and February, which constitutes
the heart of the unstable season, when lake-air
temperature differences tend to be greatest.
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Climatological lake–air temperature differences
may be around 7–81C, but may exceed 301C during
intense cold-air outbreaks. Coupled with winds
sometimes in excess of 20m s� 1, combined surface
sensible and latent heat fluxes can typically exceed
1000Wm� 2 – comparable to that found in a cat-
egory-1 hurricane (see Hurricanes).

Lake-effect clouds and snow can occur locally on
B30–40% of the days in winter under a variety of
synoptic patterns – whenever there is an onshore fetch
and the lake–air temperature difference allows the
lowest layers of the air to destabilize.However, certain
synoptic patterns are more favorable than others for
allowing lake-effect snow to develop. A typical
sequence of events begins with a synoptic-scale low
moving across theGreat Lakes region from south-west
to north-east (Figure 2). Additionally, in late autumn
especially, these lows are deepening as they cross the
region because of baroclinic forcing and aggregate
heating from all the lakes. Strong north-westerly
winds on the back side of the low bring progressively
colder polar or arctic air across the warm lakes.
Subfreezing temperaturesmay reach as far south as the
Gulf Coast and northern Florida, with � 201C read-
ings just north of the lakes. The strong winds and cold
air generate strong surface fluxes over the lakes that
moisten and destabilize the air, leading to snow
showers along the downwind lakeshores of the Great
Lakes. The deepening of the low and the destabiliza-
tion both allow stronger winds from above to mix
down to the surface and further increase the heat and
moisture fluxes.

Depending on thewind speed, the orientation of the
wind flow relative to the long lake axis, stability,
moisture, and upper-level forcing, different types of
lake-effect storms can develop. Basically, when the
prevailing flow ismore parallel to the short axis than to
the long axis of a lake (i.e., there are strong short-axis
winds), multiple wind parallel bands (Type II) develop
(Figure 3, middle panel). These bands are typically
2–4 km wide and spaced 5–8 km apart. Snowfall is
usually spread over a large area of the downwind
lakeshore, and amounts are usually light (o4mm
liquid precipitation per day). When the prevailing
short-axis winds are weak, midlake (Type I) or shore
parallel (Type IV) bands can develop – even when the
long-axis prevailing winds are strong (Figure 3 upper
panel). These bands can be 10–20 km wide and
generate copious amounts of snow. If the short-axis
wind is essentially not present then the band will be
located near the middle of the lake. If the short axis
prevailingwind is present butweak, then the bandwill
be located closer to the downwind shore. Sometimes,
especially over Lake Erie or Lake Ontario, a midlake
bandwill develop at an obtuse angle to the long axis of

the lake. These bands (Type III) actually develop as
midlake bands in north-westerly flow over Lake
Huron, farther upwind (Figure 3, lower panel). They
may lose their visible cloud characteristics over
southern Ontario, but maintain the convergence
zone so that they redevelop once they reach the lower
lakes. If the wind is very light against areas of
enhanced concavity, then lake vortices (Type V) may
develop (Figure 3, upper panel). Phenomena thought
to play roles in this type of lake-effect storm are
stretching and tilting of vorticity from low-level
convergence and vertical wind shear; differential
diabatic heating; and synoptic scale vorticity and
temperature advection. Table 1 summarizes some of
the differences between various aspects of multiple-
and single-band lake-effect snowstorms in western
Michigan (lower peninsula).

The most common type of lake-effect event over the
northern lakes (Superior, Huron, andMichigan) is the
multiple-band variety, which occurs 50% of the time.
The next most common is the shore-parallel or
midlake variety, which occurs 25%of the time. Effects
occurring during the remaining 25% include meso-
scale vortices, hybrid combinations, and undetermi-
nable forms. The most common type of lake-effect
event over the southern lakes (Erie and Ontario) is the
shore-parallel or midlake variety, because of the
different orientation of these lakes (Figure 4). In
general, across the region, the frequency of multiple
bands decreases fromwest to east and the frequency of
shore-parallel and midlake bands increases from west
to east.

Boundary Layer Dynamics

When cold air flows across the warm waters of the
Great Lakes, strong sensible and latent heat fluxes
warm and moisten the air closest to the surface first,
causing the lowest levels of the atmosphere to desta-
bilize. Strong turbulent motions mix upward the
warmed and moistened air in convective fashion.
Steam fog typically develops and steam devils may be
visible near the surface, especially within a few tens
of kilometers of fetch (Figure 5). A very unstable
convective internal boundary layer (CIBL) forms near
the surface and grows rapidly upward in the down-
wind direction (Figure 6). The upwind temperature,
humidity, and flow characteristics of the air before it
reaches the lake determine how the air will be
modified. As the air crosses the downwind lakeshore,
frictional convergence enhances ascent.

Convective updrafts can exceed 4–5m s� 1 in nar-
row cores 100m wide. After only a few kilometers of
fetch the depth of the internal boundary layer may
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reach or exceed the depth of the planetary boundary
layer. At some point the air within the thermal internal
boundary layer becomes moist enough and deep
enough for the lifting condensation level to be below
the top of the boundary layer and cloud to form (Type I
boundary layer). Subsequent latent heat release and
radiative heat transfer become important and increase
the rate of entrainment. The clouds develop initially as

two-dimensional bands, but in time, with sufficient
fetch and heating, these bands can develop into chains
of three-dimensional cells and may eventually
evolve into a regular array of three-dimensional
mesoscale cellular convection. Maximum cloud drop
concentration and liquid water content (e.g.,
0.25 gm�3) occur near cloud-top and increase over
the first two-thirds of fetch. Near the downwind
lakeshore, snow particle production increases (e.g.,
5 L

� 1) to reduce drop concentration and increase the
height of cloud base.

The most common type of convection associated
with cold air outbreaks over the Great Lakes is
the longitudinal roll. This occurs in other parts of the
world – wherever cold air crosses warm water. Over
the Great Lakes, the rolls are usually oriented parallel
to the wind at the base of the inversion and also to
the low-level wind shear. Classical rolls are typically
2–5 km wide and 0.5–2 km deep, so the
aspect ratio is roughly 2 to 5. Rolls over the
Great Lakes are 10–20 km wide and 1–2 km deep, so
the aspect ratio is about 10. Some roll circulations
exhibit a multiscale configuration so that the cloud
streets are best developed when the wavelengths of
the convection and rolls are in phase. Such multiscale
phasing can generate cloud streets with aspect ratios
of 10–20.

Linear analytic studies indicate that three different
types of instabilitymechanismsmay be responsible for
rolls. First, inflection point instability theory suggests
that a dynamical instability can develop in a (rotating)
Ekman layer that is neutrally stratified if the cross-
geostrophic wind component exhibits an inflection
point. The most unstable wind profiles lead to rolls
with an aspect ratio of 3. Rolls are best developed
when they are oriented about 141 to the left of the
geostrophic wind (in neutral conditions). Second,
parallel instability theory involves the curvature of
wind speed profiles parallel to the roll axes and the
boundary layer mean wind shear. This type of insta-
bility mechanism generates rolls with aspect ratios
that are twice as large as those from inflection point
instability and closer to those observed during lake-
effect conditions. Third, convective instability (i.e., an
unstable boundary layer) in the presence ofwind shear
also leads to the formation of rolls that are parallel to
the mean wind shear but with aspect ratios smaller
than those from inflection point instability (e.g.,
around 2).

Understanding roll development during lake-effect
situations is further complicated by the fact that large-
eddy numerical simulations suggest that only convec-
tive instability is capable of generating rolls. Gravity
waves generated within the stable air above the
convective boundary layer by wind shear near the

Figure3 Lake-effect snowbandstructures.Upper panel showsa

lake vortex (Type V) over Lake Huron (C); midlake band (Type I)

over LakeErie (A); shore parallel band (Type IV) over LakeOntario

(B).Middle panel:multiple bands (Type II) over LakeHuron (A) and

shore parallel band (Type IV) over Lake Ontario (B). Lower panel:

midlake band (Type I) over Lake Huron (A); hybrid band (Type III)

over Lake Erie (B and C). (From Figure 2 in Braham, RR Jr (1983)

The midwest snow storm of 8–11 December 1977. Monthly

Weather Review 111: 253–272. Adapted with permission from

the American Meteorological Society.)
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Table 1 Typical values for multiple and shore-parallel band lake-effect storms in western Michigan (lower peninsula)

Characteristics Multiple Single

Mesoscale features

Location Inland western shore Along western shore

Band orientation NW–SE bands N–S band

Band length 30 to 90 km 90 to 180 km

Band width 2 to 5 km 10 to 20 km

Band (boundary layer) depth 1 to 2 km 2 to 3 km

Aspect ratio 5 to 10 km 10 to 20

Lake temperature 0 to 101C 0 to 21C
1000 air temperature 0 to �101C � 10 to � 201C
850 air temperature � 5 to� 151C � 10 to � 301C
700 air temperature � 15 to �251C � 20 to � 401C
1000 winds W–NW above 10ms�1 NW–N at 0 to 10ms� 1

1000-850 shear dir/speed 301/0–10ms�1 101/0–5ms� 1

1000-700 shear dir/speed 601/0–20ms�1 201/0–10ms� 1

Cloud/precip characteristics

Precipitation Moderate snow (o 10 cm) Heavy snow (4 10 cm)

Cell movement With prevailing wind With prevailing wind

Echo persistence Short (o1 h) Long (41 h)

Cloud base 1 km o1 km

Cloud top 2 km 3km

Updrafts o1ms�1 o2ms�1

Liquid water content 0.2 to 1 gm� 3 0.5 to 2 gm�3

Cloud droplet radius 2mm 5 mm
Cloud droplet concentration 100 to 300 cm� 3 300 to 500 cm� 3

Natural ice nucleus 1 to 10L� 1 1 to 10 L�1

Ice-to-water ratio 10� 6 to 10� 4 F
Ice crystal size 1 to 4mm F
Ice crystal concentration 1 to 10L� 1 F
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Figure 4 Percentages of all days categorized as lake-effect (dashed), wind parallel bands (solid), and shore parallel bands (dotted).

Results based on visible satellite imagery from 1988–93 (October–March). (From Figure 2 in Kristovich DAR, Steve III, RA (1995)

Asatellite studyof cloud-band frequencies over theGreat Lakes.Journal ofAppliedMeteorology34:2083–2090.Adaptedwith permission

from the American Meteorological Society.)
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boundary layer top have also been suggested as a
possible mechanism. If the wind shear at the top of the
boundary layer is roughly perpendicular to the bound-
ary layer wind direction, then bands of convection
parallel to the mean boundary layer wind can be
induced by gravity waves. Latent heat release, cloud
microphysical processes and low-level wind shear
(e.g., below 200m) may also influence the develop-
ment of rolls. The partial agreement between obser-
vations and theoretical studies thus far suggests that a

combination of mechanisms may be responsible for
different aspects of roll development or during certain
conditions.

Sensitivity to Synoptic Conditions

The thermal modification of air over relatively cold
land as it crosses a relatively warm lake results in a
horizontal temperature gradient across the lakeshore,

Figure 5 Example of steam fog and roll development during cold air outbreak over Lake Michigan. Photo taken at 14.25 UTC on

13 January 1998 during the Lake-Induced Convection Experiment. (Photo from David C. Rogers at NCAR taken over Lake Michigan

during the Lake-ICE Experiment conducted during December 1997 to January 1998.)
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which can generate a thermally direct solenoidal
circulation similar to that of a sea or land breeze. In
that sense, it can be seen that the lake–air temperature
difference, speed and direction of the prevailing wind,
and height and strength of the capping inversion are
perhaps the most crucial parameters for determining
not only howmuch lake-effect snowwill fall, but how
it will fall. For example, for conditions character-
ized by moderate lake–air temperature differences
(4101C), and strong winds (410m s�1) blowing
across the short axis of a lake, multiple snowbands
will usually develop. If the winds across the short axis
are lighter and/or the temperature difference is greater
then some form of shore-parallel band will develop. If
the wind is very light against areas of enhanced
concavity then lake vortices can develop.

The impact of the wind speed on the lake-effect
response characteristics can be analyzed two-dimen-
sionally in terms of the Froude number Fr ¼ pU=NH,
whereU is themeanwind speed across the short axis of
the lake, andN andH are the Brunt–Vaisala frequency
and depth of the planetary boundary layer respective-
ly. The values for N and H depend on the lake–air
temperature difference and stability of the pre-lake-
modified air. The Froude number may be interpreted
as the ratio of the mean wind speed U to the gravity
wave speed cg ¼ NH=p for a boundary layer of depth
H. Three regimes are important to consider. When
Fro1 then the gravity wave speed exceeds the mean
flow speed ðcg > UÞ. Opposing sea-breeze type circu-
lations develop with respect to the short axis of the
lake and the heaviest precipitation falls over the lake
(Figure 7A). This regime corresponds to the midlake
band type of event. When Fr >1, the gravity wave
speed is less than the mean flow speed ðcgoUÞ. The
response is characterized by alternating regions of
ascent and descent that propagate downwind from the
leeward shore, and precipitation is diffuse and weak.
This regime corresponds to the multiple-band type of
event (Figure 7B). When Fr ¼ 1, the gravity wave
speed equals the mean flow speed ðcg ¼ UÞ. A
resonance condition develops where gravity waves
generated at the downwind shore cannot propagate
upwind. This regime corresponds to the shore-parallel
band type of event that can generate significant
precipitation at the downwind lakeshore (Figure 7C).
Setting Fr ¼ 1, and using typical values of N ¼
10�2 s�1 and H ¼ 2 km, suggests that a value of U �
6m s�1 maximizes heavy snow along the downwind
lakeshore, which is consistent with observations.

The impact of fetch on lake-effect storm develop-
ment has been known since the early 1900s. Long
fetches usually result in heavy snowfalls. Short fetches
also may produce significant snowfalls if the pre-lake-
modified air is relatively unstable, if the lake shore

geometry enhances radial convergence, or if the
nearby orography enhances lifting. These observed
impacts of fetch have been confirmed only recently
using analytic and numerical models. For example, it
has been shown analytically for Lake Michigan that
three convergence centers develop near the eastern
shore when a westerly wind prevails, two cells or
snowbands develop when a north-westerly wind
prevails, and one midlake band develops when a
northerly wind prevails.

The vertical structure of the environmental wind
also affects lake-effect storms. For example, when the
prevailingwind is parallel to the long axis of LakeErie,
moderate directional shear (e.g., between 301 and 601)
from the surface to 700 hPa causes weakly to-moder-
ately precipitating multiple snowbands rather than a
single intensely precipitating snowband to occur.
Stronger shear (e.g., greater than 601) over Lake Erie
causes the breakdown of precipitating snowbands
altogether – allowing only instead the development of
a non-precipitating stratocumulus deck. While wind
shear can understandably inhibit the organization of
rolls orwider bands, it is not clear whether some of the
observed effects from shear are simply amanifestation
of a shallow boundary layer.

The height and strength of the (capping) inversion
are significant limiting factors to cloud depth and
therefore to precipitation. Typically, the boundary
layer must have a depth greater than 1 km in order for
lake-effect snow to develop. The most convectively
active lake-effect storms have inversion heights ex-
ceeding 3 km. Sometimes the capping inversion is
entirely absent. During such cases, thunder and
lightning typically accompany copious snowfall rates
e.g., these exceeding 10 cm h� 1.

The vertical temperature andmoisture distributions
within the boundary layer also play a role. For
example, it has long been known that a minimum
temperature difference of 131C between the lake
surface and the upstream airflow at 850 hPa is
required for lake-effect storms to develop. This tem-
perature difference criterion means that the lapse rate
should be unstable with respect to unsaturated ascent.
A dry boundary layer is less conducive for lake-effect
snow than a moist one, although a long fetch can
compensate for very dry boundary layers. The impact
ofmoisture is greater for low-stability profiles than for
high-stability ones.

The presence of large-scale forcing can also influ-
ence lake-effect storm development. Typically, the
coldest air passes over the lakes as high pressure at the
surface moves eastward across them, accompanied by
negative vorticity advection at upper levels and cold
advection near the surface. Thus, the impacts
of synoptic-scale forcing typically act to suppress
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lake-effect storm development (Figure 2). There are
however instances when cold air, positive vorticity
advection, and even warm advection exist simultane-
ously over the region. Such situations usually come in
the form of Alberta Clippers (short waves) that
develop in cold air masses and move south-eastward

across the region. The synoptic forcing coupled with
the cold air that is already established over the region
can combine to generate intense snowfall.

Sensible and latent heating from all the Great Lakes
(e.g., the lake aggregate) can also influence lake-effect
storms over individual lakes. Basically, if warming
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Figure 7 Gravity wave interpretation of lake-effect morphology dependence on wind speed. (A) Weak windspeeds create subcritical

ðFro1Þ regime, which allows gravity waves to propagate upwind and downwind and a midlake band andmoderate snow to develop over

the lake; (B) strongwindspeeds create supercritical ðFr > 1Þ regime,which allowsgravitywaves to propagateonly downwindandmultiple

bands and light snow to develop beyond the downwind lakeshore; (C) moderate windspeeds create near-critical ðFr � 1Þ regime, which

allows gravity waves to travel downwind but traps gravity waves trying to propagate upwind – resulting in an intense shore-parallel band

and heavy snow to develop along the downwind lakeshore. Heavy arrows indicate windspeed and wavy arrows indicate gravity wave

propagation. Plus (1) signs and shaded columns indicate ascent; minus (–) signs and open ovals indicate descent. Asterisks indicate

snowfall.
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(andmoistening) occurs over all the Great Lakes for at
least a day then surface pressures and stability can
drop over a broad region and cause a perturbation
aggregate-scale, low-level cyclonic circulation to de-
velop. The position, the size, and the warmth and
moisture from this aggregate circulation can modify
lake-effect precipitation throughout the region. Spe-
cifically, when the synoptic-scale flow is north-west-
erly, aggregate effects can augment snowfall along the
north-western shores of lower Michigan, and reduce
snowfall along the south-western shores (Figure 8).
Shore-parallel bands located offshore can migrate
eastward (e.g., onshore) or evolve intomultiple bands.
These aggregate affects over Lake Michigan include
enhanced westerly flow, increased heat and moisture,
and lower stability. The lake aggregate can also
influence lake-effect precipitation in the lower lakes
region. For example, as the lake-aggregate-induced
plume of heat and moisture extends south-eastward,
surface winds across Lake Ontario (north of the
aggregate induced plume) can becomemore northerly.

In contrast, surface winds across Lake Erie (south of
the aggregate-induced plume) can become more
westerly. The aggregate-altered winds can cause a
longer fetch across Lake Erie and a shorter fetch across
Lake Ontario, and can shift the regions of lake-effect
convective bands, so that less (intense) lake-effect
precipitation can fall along the lakeshores downwind
(east) of Lake Ontario and more lake-effect precipi-
tation can fall along the eastern shores of Lake Erie
(Figure 8).

Forecasting

The mesoscale nature of lake-effect storms, their
intensity, and the short development times continue
to challenge forecasters. Highly variable snow-to-
liquid ratios (10:1 to 50:1) and terrain effects, espe-
cially near Lakes Erie and Ontario, can enhance the
inherently large spatial variability of lake-effect snow
and hence the forecast challenge. While the problems

Figure 8 Illustration of lake aggregate effect on prevailingwinds and lake-effect snowstorms.On the south side of the developingwarm

plume (shaded oval), north-west winds respond in sea-breeze fashion to become south-west winds with increased fetch and heavy snow

acrossLakeErie. Lakeeffect snowsacrossportions of westernMichigan (lower peninsula)mayormaynot change characteristics.On the

north side, north-west winds respond to become north-north-westerly winds with reduced fetch and light snow across LakesSuperior and

Ontario and increased fetch heavy snow across Lake Huron.
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of forecasting when lake-effect snow is going to occur
have essentially been solved, the equally significant
problems of exactly where lake-effect snowwill occur,
what form(s) it will take, how intense it will be, and
how long it will last remain outstanding forecast
issues. A combination of high-resolution numerical
weather prediction models, statistical methods, Dop-
pler radar, and forecaster savvy are the basic forecast
tools.

Numerical models have come a long way since the
use of the limited fine mesh (LFM) model. The
horizontal grid spacing (180 km) and the exclusion
of the lakes in terms of their heat, moisture, and
momentum characteristics in that model precluded
any explicit model development of lake-effect precip-
itation. Regardless, operational forecasters relied on

this model because of its ability to forecast the large-
scale conditions to which lake-effect snowstorm
development is very sensitive. The LFM model, in
conjunction with forecaster decision trees based on
key large-scale parameters, and experience, allowed
forecasters to at least be able to issue general forecasts
of when lake-effect snow was going to occur.

Two operational models currently being used in-
clude the nested grid model (NGM), with 48 km
horizontal grid spacing, and the Eta model. Several
different versions of the Eta model are run at several
different resolutions and times including one run at
12 km horizontal grid spacing four times daily. The
increased resolution in the Eta model has been
especially helpful for identifying areas where lake-
shore enhanced snowbands may develop. Recently,
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     Variable            12 h 24 h 36 h 48 h

Wind direction (degrees)

     700 hPa  260 310 290 270

     850 hPa  290 300 290 240

     B.L.  290 290 290 180

Change in wind direction with height

     850/700  030 010 000 030

     B.L./700  030 020 000 090

Fetch (miles) 

     850 hPa  090 070 090 150

Temp (°C)

     700 hPa  −30 −28 −21 −18

     850 hPa  −21 −23 −17 −14

     B.L.  −10 −14 −10 −09

Lake    02   02   02   02

TS/T3 layer inversion intensity

     TS-T3  −08 −08 −03 −05

Vertical velocity (microbar/s)

     700 hPa  +02 −02 −02 +00
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Figure 9 Lake-effect snow guidance product for 1200 UTC on 18 February 1993 generated for Lake Ontario at WSFOBuffalo. TS and

T3 correspond to the surface and 900hPa temperatures respectively andBL corresponds to the boundary layer. (FromFigure 10 in Niziol

TA, SnyderWRandWaldstreicher JS (1995)Winter weather forecasting throughout the easternUnited States. Part IV: Lake effect snow.

Weather and Forecasting 10: 61–77. Adapted with permission from the American Meteorological Society.)
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several forecast offices have experimented with run-
ning locally high-resolution mesoscale models. The
Forecast Office in Buffalo, New York, has been
running a 10 km version of the PSU/NCAR model
MM5 since 1996. The Forecast Office in Detroit,
Michigan, has been running a 6 km version of the Eta
model since 1998. Both of these offices have reported
the ability to provide more specific and more accurate
forecasts.

Despite significant and continuing improvements in
numerical weather prediction, lake-effect snow con-
tinues to challenge the abilities of even the most
sophisticated numerical models, because of several
inadequacies. These inadequacies include horizontal
resolution that is still too coarse for resolving the 2–
4 kmwide bands, convective schemes tuned originally
for deep (tropical) convection that are inappropriate
to simulate intense shallow precipitating convection,
and boundary layer schemes that are too simplistic to
develop the low-level temperature, moisture, and
cloud-microphysical structures that exist within
lake-effect snow environments near the surface.

To address some of these inadequacies, forecasters
currently use various statistical methods. These meth-
odswere used almost exclusively prior to the existence
of numerical models. As early as the middle of last
century, various investigators had outlined conditions
necessary for prolonged lake-effect storms to occur at
the eastern end of Lake Erie. Afterwards, more
sophisticated statistical models, based on multiple
discriminant analysis, the perfect prog (PP) method,
model output statistics (MOS), and classification and
regression trees (CART), were developed for many of
the lake-effect snow belts. Currently, the use of
numerical model output in terms of larger-scale
features, coupled with highly tuned, sophisticated
statistical models, has proven a very effective forecast
method (Figure 9).

Remaining challenges for numerical lake-effect
snow forecasting include resolving the lakeshore
geometry and nearby terrain, simulating more accu-
rately the evolution of the boundary layer – including

heat, momentum, and moisture fluxes – and simula-
ting more accurately the convective precipitation. A
fourth challenge is initializingmore accurately the lake
surface temperatures, which are specified currently
using AVHRR satellite data that represent a multiday
average and may have gaps because of persi-
stent cloudiness. Finally, the simulation of sub-
sequent changes in lake surface temperatures, which
may also improve forecast accuracy, has yet to be
included.

See also

Air–Sea Interaction: Storm Surges. Boundary Layers:
Convective Boundary Layer; Modeling and Parameterizat-
ion; Overview. Climate: Overview. Convective Storms:
Convective Initiation; Overview.Hurricanes.Mesoscale
Meteorology: Mesoscale Convective Systems; Models.
Numerical Models: Methods. Synoptic Meteorology:
Forecasting. Weather Prediction: Regional Prediction
Models.
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Introduction

The atmosphere forms with land and the oceans a
closely coupled system. This system is driven by the
absorption of solar radiation.Much of this radiation is
absorbed by the underlying land and ocean surfaces.
Land differs from the ocean in having a much lower
capacity to store the thermal energy received from the
Sun. Rather, solar energy raises its temperature until it
adjusts its properties to lose as much energy as it has
received. This continual tendency of the land surface
to achieve a balance with the solar energy it receives,
together with the influence of the overlying atmos-
phere on this balance, is an important determinant of
the day-to-dayweather we experience and is the prime
cause of climates over land. Because the properties of
the overlying atmosphere are strongly controlled by
the influences of underlying surfaces that it has
previously been in contact with, the climate at a
particular location acts to average influences from
elsewhere. Thus, the climate of near-coastal regions
appears similar to that of adjacent ocean areas,
whereas that of continental interiors combines the
direct influence of local solar radiation with how such
radiation has influenced the atmosphere in adjacent
regions.

The atmosphere influences physical, biogeochemi-
cal, and biological properties of the land surface.
Incident solar radiation, besides its heating of land,
also provides the energy required to drive the photo-
synthesis of plants and other organisms with chloro-
plasts. The clouds that form when atmospheric water
vapor condenses into water droplets substantially
reduce the available solar radiation, but this cooling
effect is compensated to some extent by their increase

of downward thermal radiation.When cloud droplets
are able to join into larger drops, or water vapor
deposits to form the crystals that grow large enough to
fall, the resulting precipitation supplies water to the
soil. This water is used by plants to maintain their
assimilation of carbon dioxide and hence to grow, and
the surplus that is not so used fills streams, rivers,
groundwater, and reservoirs, and is either captured for
human requirements or delivered at the mouths of
rivers to the ocean. The transpiration of plants in using
soil water is the major contributor to the evaporative
cooling of the land surface by the atmosphere in moist
regions.

Besides the radiative and hydrological inputs, the
winds, temperature, and moisture of the overlying
atmosphere also strongly affect the land surface, and
in turn are affected by the land surface. Describing this
influence requires knowledge of the mechanisms by
which the land surface achieves energy balance.

What Determines the Land Surface
Absorption of Solar Radiation?

Solar radiation is the primary source of warmth for
land, and the driver of plant photosynthesis. Designs
of homes take advantage of this by siting their walls,
windows, and landscaping to capture the levels of light
needed for optimum growth of indoor and outdoor
plants, to reduce the solar heating at times of year and
day when outside temperatures exceed human com-
fort levels, and to maximize solar heating when
outside temperatures are uncomfortably cold. We
like to wear light-colored clothing in the summer to
maximize the reflection of solar radiation and dark
clothing in the winter to absorb solar radiation. These
patterns of human behavior are natural responses to
our understanding of the varying supply of solar
radiation.

The amount of solar radiation absorbed by any
surface is simply the product of howmuch solar energy
is incident on that surface, and the fraction of that
incident radiation that is absorbed. The flux of solar
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radiation at any location is a vector; that is, it has a
magnitude, which is the energy it carries, and a
direction, which is the direction from the Sun to that
location. The key parameter determining how much
energy is incident on a given surface is the angle
between the directionof the Sunand that surface. If the
surface is turned to face the Sun, i.e., directly overhead
for a flat surface on the ground, it receives its
maximum solar energy, the same as the magnitude of
solar flux at that level. Otherwise, the surface receives
an amount reduced by the cosine of the angle between
the direction of the Sun and the line that the Sunwould
take for maximum receipt of solar energy.

This geometrical reasoning for the determination of
the amount of incident solar radiation enters in many
ways our descriptions of climate over land and climate
in general. On average for the Earth, it is in nighttime
half the time, and during daytime, on average, the
angle formed between a vertical line from the surface
of the Earth and the Sun is 601. Consequently, the
daytime average sunlight received at the top of the
atmosphere is half of that which a point receives when
the Sun is directly overhead, and the day–night average
is a quarter of that received from an overhead Sun.
Solar radiation at the surface is additionally affected
by greater atmospheric reflection and absorption of
radiation when the Sun is closer to the horizon. These
geometric factors reduce the solar radiation received
in high latitudes and in winter, and enhance the solar
radiation received in the tropics and in summer, hence
largely determining the seasonal and geographic
variations of climate. However, quantitative details
are also highly dependent on how the atmosphere
responds to the seasonal and geographical variations
of solar energy delivery and in turn affects the land
surface.

Clouds are the primary mechanism by which the
atmosphere alters the receipt by the land surface of
solar radiation. Also important are other smaller
atmospheric particles referred to as aerosols. The
amounts of atmospheric gaseous absorbers of solar
radiation, such as water vapor and ozone can also be
significant. The total net radiation that heats the land
surface includes that of downward thermal emission
from the atmosphere, which also depends on clouds
and water vapor, and is reduced by the upward
emission of thermal radiation. This ‘Earth’ radiation
depends on surface temperature butmoreweakly than
do the fluxes of energy from surface evaporation and
dry sensible heat, so in discussing the atmospheric
radiative fluxes to the surface in the next section, we
use the term ‘total net radiation’.

The fraction of solar radiation that is absorbed by a
surface is referred to as its albedo. Because land
consists of surfaces oriented in all directions, the

albedo is not simply determined by the reflection from
a single flat surface but also depends on how much of
reflected light is absorbed by other surfaces. For
example, snow at the bottom of a deep canyon may
reflect most of the solar radiation it receives, but the
canyon walls may in turn mostly absorb this reflected
light so that the albedo of the snow canyon system is
much less than that of the snow alone. This reduction
of surface albedos by light trapping is perhaps most
widespread for vegetated surfaces, where the plants’
requirements for photosynthesis dictate that the
absorption of solar radiation be maximized. Leaves
are so arranged that plants as a whole reflect less than
half as much solar radiation as do the individual
leaves.

The albedo of land surfaces, and especially the
vegetated components, depends strongly on the wave-
length of the solar radiation. The wavelengths of solar
radiation that plants use are essentially the same as
those of human vision, that is ‘visible light’. Approx-
imately half of solar radiation occurs at the longer
wavelengths of the near infrared. These longer wave-
lengths are not used for photosynthesis and may
overheat plants, so that plant leaves have much higher
albedos at these wavelengths.

What Determines the Fluxes of Water
and Dry Atmospheric Energy from the
Land Surface?

For given amount of solar absorption and net radia-
tion, the land surface can still reach a wide range of
states and interact with the atmosphere over a wide
range of possibilities.Over the course of a day, some of
the daytime heating can conduct downward into the
soil and be released again at night. Averaged over day
and night, the net absorption of radiation is largely
balanced by fluxes of energy that the land surface
delivers to the atmosphere. The turbulent motions of
air near the land surface determine these fluxes.
Convection and mechanical mixing in turn determine
the intensity of the turbulence. The intensity of
mechanical mixing is determined by the strength of
surface winds and by the roughness of the surface.
Positive net land surface heating normally occurs only
during the day, and it usually has small negative values
at night.

The energy carried from the surface by water vapor
is simply the energy that was required to evaporate the
water from its liquid state at the land surface or
equivalently the energy that will be released when this
water vapor is converted back to liquid form through
the formation of clouds and precipitation. The trans-
port of dry atmospheric energy is the energy carried
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upward by relatively warm air rising and cold air
sinking. This transport of dry atmospheric energy
provides the intense daytime convection that generates
the boundary layer turbulence needed to remove the
energy supplied to the surface by daytime radiation.
The flux of dry energy is proportional to the difference
between land surface temperatures (i.e., that of leaves
and soil surface) and that of the overlying air. The flux
of water vapor is proportional to the difference
between water vapor concentrations at the surface
and that of the overlying air. Where materials at the
surface are supplied with water, such as inside leaves
and in moist soil, the consequent water vapor concen-
tration depends only on temperature. How the land
surface responds to a given amount of net radiation
depends on how it divides the removal this energy
between evaporation anddry atmospheric energy flux.
The ratio of dry atmospheric energy flux to energy
carried by water vapor is called the ‘Bowen ratio’.

The Bowen ratio depends on surface temperatures,
on the relative humidity of the overlying air, and on
limitations to removal of water from the soil. In the
extreme, if the surface is very dry, there is very little or
no water available to be moved into the atmosphere
and the Bowen ratio becomes very large. The smallest
Bowen ratios result in warm areas when there are no
limitations on the removal of water from the surface
but the atmospheric relative humidity is extremely
low. This can only happen when such conditions are
local and differ from those of the surrounding land
surface, because then the consequent flux of energy
will exceed that provided by net radiation and will
depend on air energy carried to that point from
elsewhere. This is referred to as the ‘oasis’ effect.

The role of temperature in determining the Bowen
ratio is isolated by consideration of its value when
surface air is at 100% relative humidity. Daytime
evapotranspiration will still occur because the heating
of the surface will raise the concentrations of water in
the near surface soil and inside plant leaves to larger
values of atmospheric humidity than that of the
overlying air. However, because these concentrations
increase substantially with larger temperatures, the
Bowen ratio will be less at larger temperatures.

In sum, for moist surfaces the Bowen ratio will be
greater for colder temperatures and drier air. The
Bowen ratio is further increased by various surface
resistances that affect only the movement of water
vapor or affect it more than themovement of dry heat.
Perhaps most obvious is that when the surface soil is
dry, water vapormust diffuse upward from deeper soil
layers, and the rate at which this diffusion occurs may
limit transport of water into the air.

The presence of precipitation and hence soil mois-
ture is normally accompanied by growth of plants.

Hence, the fluxes of water vapor from the land surface
to the atmosphere largely occur through extraction of
soil water by roots and transport through plants and
out their leaves. This is called transpiration.Normally,
with adequate soil moisture, the plant leaves are the
main obstacle to movement of water to the atmos-
phere and hence an important control on the Bowen
ratio. The leaves lose water primarily through tiny
holes called ‘stomates’. A leaf normally has to contain
water to maintain its structure, and if the roots cannot
supply water as fast as it loses it, it wilts. Hence, its
water loss can be a threat to its survival.Why do leaves
have this stomatal loss mechanism for water andwhat
determines the extent by which the stomates lose
water? There may be some benefit from the resulting
evaporative cooling inwarm regionswhere leavesmay
be threatened by thermal damage if their leaves reach
high enough temperatures. However, the primary
reason is an even more basic element of plant
requirements for growth and survival. The photosyn-
thesis of plants uses light from the Sun to convert
carbon dioxide to the carbohydrates and proteins
needed for plant growth (some of which eventually
become our own food). This can only work if the
plants receive, besides light, an adequate supply of
carbon dioxide. The stomates pass carbon dioxide
from atmosphere to the inside of leaves where it can
reach the chloroplasts andbeused.This function of the
stomates, however, is in a somewhat delicate balance
with the controls of the stomatal opening as to how
much water is lost. If the net stomatal passageway to
the atmosphere is too large, the leaves may lose more
water than the soil can provide, whereas if it is too
small, the leaf may be starved of carbon dioxide, at
least relative to the light energy available to convert it
to carbohydrate.

Plants and related aspects of the land surface
exchange not only carbon dioxide but other important
gases with the atmosphere, as addressed in the next
section.

What Determines the Fluxes of Carbon
Dioxide and Other Gases to and from
the Land Surface?

As concluded in the previous section, the flux of
carbon dioxide into plants is closely linked to the
transpiration by vegetation and hence to much of the
flux of water from the land into the atmosphere.
However, if the removal of carbon dioxide were
simply one-way or unbalanced in the direction of
removal, we might expect the atmosphere to become
exhausted and no longer provide an adequate supply
of this essential plant nutrient. This may not be such a
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far-fetched possibility, because the amount of carbon
from carbon dioxide currently contained in land
plants is as large as that held in the atmosphere,
including the atmosphere over the oceans; and that
stored in the soil that came from plants is considerably
larger. The possibility that large amounts of carbon
dioxide can be removed from the atmosphere is
demonstrated by the large amounts that have been
converted to fossil fuels at earlier times in Earth’s
history. Indeed, currently accessible coal deposits have
been estimated to hold over ten times the carbon
currently contained in the atmosphere, and at the time
these deposits were formed the atmosphere may have
held several times as much carbon dioxide as it does
now.

The oceans hold even more carbon than does the
land, dissolved as bicarbonates and carbonates in sea
water. This carbon eventually makes its way into
limestone sediments, which throughmovements of the
Earth’s crust are returned to land and the atmosphere.
Fortunately, the natural exchanges of carbon dioxide
between land, atmosphere, and ocean are normally
very close to being in balance. The land in particular
acts to move as much carbon dioxide back into the
atmosphere as it removes. Currently, land does
appears to taking up more carbon dioxide than it
gives back to the atmosphere. However, this is in
response to the extra carbon dioxide being supplied by
the human conversions of fossil fuels back into carbon
dioxide, which still causes atmospheric carbon diox-
ide to increase. Hence the net land removal of carbon
dioxide must be regarded as a very valuable service. It
reduces the effort we otherwise might have to make to
limit our usage of fossil fuels out of concern for the
consequent climate change. Although we know much
about how the land exchanges carbon with the
atmosphere, our current understanding of the details
of the net removal into land is sufficiently poor that we
cannot determine under what conditions this removal
could cease or possibly reverse.

How is the natural cycle of carbon dioxide removal
from the atmosphere into plants balanced by land
supplies back to the atmosphere? The carbohydrates
that the plants produce from photosynthesis are
largely eaten. What this means, at the cellular level,
is that the mitochondria present in all eukaroyate cells
metabolize (that is oxidize) the carbohydrates into
energy and carbon dioxide. The energy supplies the
needs of the cell and themore complete organisms, and
the carbon dioxide is returned to the atmosphere. The
final step of this process in our bodies is our exhaling of
carbon dioxide from our lungs. Only about 1% of this
carbohydrate energy is metabolized by humans to
return the carbon dioxide to the atmosphere. Where is
the rest?

The plants themselves use about half of the carbo-
hydrate energy stores for their own needs. They
require this energy both to convert the carbohydrates
to more complex molecules such as proteins and fat
compounds and to continuously repair complex mol-
ecules such as enzymes that tend to ‘wear out’. Some
energy is also needed in roots to facilitate the acqui-
sition of soil nutrients either by directly powering the
movement of soil ions or by indirectly by feeding other
soil organisms such as mycorrhizae that facilitate the
movement of insoluble soil nutrients to the roots.

The carbon that the plants do not use themselves,
and that is not harvested by humans or other animals,
is delivered to the land surface and soils as dead plant
materials. This dead plant material feeds many small
to microscopic organisms, at the bottom of the food
chain mostly bacteria and fungi, the ultimate decom-
posers of plant materials that are responsible for
return of carbon dioxide to the atmosphere. All these
biological processes are strongly controlled by the
physical environment, the overlying atmosphere, the
water provided by precipitation, and the supply of
energy and warmth by the Sun.

The only major exception to the conversion of
carbon compounds to carbon dioxide by living
organisms is that fraction that is oxidized directly by
high-temperature combustion: that is, fires. Human
use for energy, human land management practices,
and natural or accidently started fires release compa-
rable amounts of carbon dioxide, in total perhaps as
much as 20% of that captured by plants on average.
Natural fires are themselves a land process that
strongly interacts with the atmosphere.

Besides carbon dioxide, numerous other important
carbon compounds are exchanged between the land
surface and the atmosphere. Especially important is
methane, which is emitted in places where there is very
little oxygen, such as swamps and rice paddies. In
addition, complex organic compounds are given off in
copious amounts by leaves and contribute to enhanc-
ing regional levels of ozone and photochemical smog.
Forest fires are an especially important mechanism for
the supply of other complex organic materials to the
atmosphere, including important aerosols.

Without going into as much detail was done for
carbon, other elements important for living cells that
are exchanged between land and the atmosphere
include nitrogen and sulfur. The molecular nitrogen
in the atmosphere is very inert to chemical change, but
enough must be supplied to the land surface, in the
formof nitrate or ammoniumcompounds, tomaintain
this element in living cells. Ammonium compounds
are generated naturally by nitrogen-fixing organisms
that live freely in the soil or are attached to the root
systems of some plants, such as the legume family.
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Humans now add even larger amounts of ammonium
and nitrate to the soils directly as fertilizers or
indirectly as wet and dry deposition of these com-
pounds from atmospheric pollution. Although some
sulfur moves from the land into the atmosphere, much
more is initially put into the atmosphere by the
combustion of fossil fuels and this is then deposited
back to the land.

Land processes supply ammonia and oxides of
nitrogen to the atmosphere, which are major elements
in determining aerosols and atmospheric chemistry.
Most of the ammonia comes from areas where it has
been concentrated by human management practices,
such as from feed lots and heavily fertilized fields.
Nitrous and nitric oxides escape from the soil as by-
products of the incomplete nitrification of soil ammo-
nium, which is its bacterially mediated conversion to
nitrate.

HowDoWeDescribe the Geographical
Variations of Land Properties in Ways
That Are Meaningful for Determining
Their Interaction with the
Atmosphere?

Models of the Earth system that describe the interac-
tions of the land with the atmosphere require not only
the best efforts to describe the processes reviewed
above with equations but also knowledge of the
geographically varying properties of the land surface
that determine these interactions. Many of the needed
properties are generated by the models themselves,
such as those involving the absorption of solar
radiation, temperatures, and aspects of the hydrolog-
ical cycle such precipitation and soil moisture. How-
ever, some necessary features are more accurately
observed than modeled, or are best treated by a
combination of modeling and observations.

Some particularly important parameters that need
to be constrained by observations are the land albedos,
characteristics of the soil, and characteristics of the
vegetation. Features of the soil and other aspects of the
land surface that influence themovement of water and
help determine how much ends up in streams and
rivers rather than being returned directly to the
atmosphere through evaporation and transpiration

are especially important. Likewise, aspects of the
vegetation that determine its albedo and its control of
movement of water between the soil and the atmos-
phere can be characterized from observation. The
latter include the roughness of the vegetation for
producing turbulence in the air that flows over it, the
degree of resistance the leaves produce to water
movement through them, and the depth into the soil
to which the roots are able to mine water.

These required properties can be estimated by
mapping of the world’s land surfaces into plant
functional types or major biomes. These two ap-
proaches can overlap where biomes consist largely of
single plant functional types. For example, the tropical
evergreen biome consists largely of the tropical ever-
green tree plant functional type. On the other hand,
the savanna class biome consists of a mixture of trees
and grasses. For either of these or more detailed land
cover classifications and for determination of albedos,
global mapping requires the use of satellite imagery of
the land surface. Such measurements are not as simple
as determining the presence or absence of clouds but
can be done with the current generation of satellite
instruments that NASA has had in orbit since the year
2000.

See also

Boundary Layers: Overview; Stably Stratified Boundary
Layer; Surface Layer. Global Change: Biospheric Im-
pacts and Feedbacks. Land–Atmosphere Interactions:
Canopy Processes; Trace Gas Exchange. Solar Terres-
trial Interactions.
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Introduction

The arrangement of leaves and supporting structures
(branches and stems), integrated with height between
the ground and top of the vegetation, forms our
definition of a vegetation canopy. There is almost
infinite variety in the morphology of canopies in the
world’s vegetation. Canopies may have several well-
defined layers, such as in rainforests, or may have one
well-defined overstory, with or without a vegetated
groundcover (the understory). A typical way to
quantify the canopy is in terms of canopy closure (or
gaps where sky is visible) or the leaf area index, L,
equal to half of the total leaf area per unit ground area.
The latter takes into account dense, multilayered
canopies where L can exceed one. In general, L varies
zonally across the globe, varying roughly with precip-
itation and temperature, reaching a maximum near
the Equator and a minimum near the poles.

Superimposed on the world’s spatial variability in
canopy structure, there is often a great deal of
temporal variability for a given canopy. In the long
term, the canopy changes through the ecological
processes of succession, as a disturbance such as fire
destroys the canopy and L generally increases over
perhaps hundreds of years as different species colonize
the area. Annually, L can vary from a maximum
during the summer to a minimum during the winter as
deciduous canopies seasonally lose their leaves, effec-
tively shedding most of their canopy. On a short-term
basis (hours) some species can change leaf orientation
in response to water stress (e.g., soybeans), track the
sun (e.g., alfalfa, cotton, soybeans), or shed leaves in
response to water stress (e.g., cotton). Even within a
single species at any given time, leaf structure can vary
from being thick near the top of a light-rich canopy to
thin within a shaded canopy. Oak leaves, for example,
grown in the upper canopy tend to be smaller, more
deeply lobed, and inclined at steeper angles than those
grown beneath in the shade.

Regardless of this spatial and temporal variability, it
can be argued that the motivation driving all atmos-
pheric-related canopy processes is to achieve an
optimum L that maximizes light absorption for
photosynthesis while minimizing transpiration water
loss. The quantity of light absorbed as it passes
through a canopy drives the process of photosynthesis,
which is connected to the transpiration water loss

through individual leaf stomata. A measure of the
openness of leaf stomata at the canopy scale, canopy
conductance, responds to the air temperature, humid-
ity, wind speed (turbulence), and CO2 concentrations,
all of which are influenced to various degrees by the
canopy. As a result, a canopy often creates its own
microclimate.

A description of canopy processes requires integra-
tion or aggregation of processes across spatial scales
ranging from the cellular to canopy scales. Such
integration remains an issue, as an accurate represen-
tation of canopy processes requires the ability to ‘scale
up’ from the leaf to the canopy level measurements,
and ‘scale down’ back to the leaf from canopy level
measurements. In this article, canopy processes will be
described following a scaling-up approach, covering
the following topics: photosynthesis, canopy conduct-
ance, light penetration, canopy productivity,wind and
turbulence, and remote sensing.

Photosynthesis

Leaves are surfaces remarkably well adapted for
intercepting light. The conversion of light into carbo-
hydrates and starches occurs through the process of
photosynthesis:

CO2 þH2O �!light; plant
CH2Oð Þ þO2 ½1�

Only short-wave (solar) radiation between wave-
lengths of 400 and 700 nm (photosynthetically active
radiation: PAR), and especially 680 and 700 nm, are
absorbed by the plant for photosynthesis. The en-
tranceway forCO2 into the leaf and subsequent loss of
water vapor is through the stoma (plural, stomata)
(Figure 1). Stomata are small openings (typical length
15 mm) typically on the underside of leaves flanked by
twoguard cells. These guard cells regulate the aperture
of the stomata by changing their turgor (internalwater
pressure). The plant actively regulates the stomata
aperture (often expressed as the stomatal conduct-
ance) by changing the guard cell turgor through
changing the potassium ion concentration inside the
guard cells. If, for example, the tension of water inside
the water-conducting vessel in the plant (the xylem)
became too great, then, to prevent cavitation inside the
xylem (irreparably damaging the xylem), potassium
would flow out of the guard cells. In response to the
developingwater potential gradient,waterwouldflow
out of the guard cells and into the adjacent epidermal
cells. The turgor in the guard cells would decrease,
and the stomata would close, thus reducing water loss
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(also carbon gain). The signal to transfer potassium in
or out of the guard cells is thought to be controlled by
the hormone abscisic acid (ABA) produced at the root
hairs and carried through the xylem to the guard cells
in the leaf.

Biochemical Pathways

As eqn [1] shows, water is required for photosynthesis
as it provides the solution in which carbon
can dissolve. In addition to modifying canopy
and leaf morphology to optimize light absorption,
plants have evolved a number of strategies to
maximize photosynthesis when water is the
limiting resource. Biochemically, this includes supple-
menting the C3 photosynthetic carbon reduction

(PCR) cycle with the C4 photosynthetic carbon
assimilation (PCA) or crassulacean acid metabolism
(CAM) pathways.

All photosynthetic eukaryotes reduce CO2 to car-
bohydrates using the PCR (Calvin) cycle. In this cycle,
atmospheric CO2 and water are combined with a five-
carbon acceptor molecule (ribulose 1,5-bisphosphate)
to generate two molecules of a three-carbon interme-
diate, phosphoglycerate. This carboxylation reaction
is catalyzed by the enzyme ribulose bisphosphate
carboxylase/oxygenase (rubisco), the most abundant
enzyme in the world (estimated at 107 tonnes). Using
the photochemically derived energy adenosine tri-
phosphate (ATP), phosphoglycerate is then reduced
to form carbohydrates (sucrose, starch).Next, theCO2

acceptor molecule is regenerated, again using ATP. At
a thermodynamic efficiency of about 90%, six turns of
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Figure 1 Plan (A and C) and cross-sectional (B and D) views of an open (A and B) and closed stomata (C and D). The transfer of water

vapor out of the leaf, andCO2 into the leaf, are regulated by the aperture of the stomatal pore, quantified as the leaf stomatal conductance

or its reciprocal, the leaf stomatal resistance.
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this cycle are required to produce the equivalent of 1
glucose molecule from 6 carbon atoms.

The enzyme rubisco discriminates poorly between
CO2 and O2, and will oxygenize ribulose 1,5-bis-
phosphate and release CO2 if combined with O2. This
process, known as photorespiration (the C2 photores-
piratory carbon oxidation or PCO cycle), and diamet-
rically opposed to photosynthesis, results in a loss of
up to 50% of the CO2 gained by photosynthesis. To
recover some of the photorespired CO2, species found
in somewhat dry and high-energy (light) tropical and
subtropical climates (e.g., tropical grasses, sugarcane,
corn, sorghum) have a particularly well-developed
ability to formC4 acidsmalate and/or aspartate. These
acids are broken down near the site of carboxylation
(the mesophyll) to regenerate an additional CO2

acceptor molecule. Hence, C4 species typically have
high photosynthesis rates, and a low stomatal con-
ductance (high water use efficiency; see below), yet
require high temperatures and ample light, and are
therefore seldom found in cool or shady locations such
as those often found beneath a canopy.

In especially arid environments, CAM species such
as cacti have the ability to reduce water loss by closing
their stomata during the day, and opening them at
night. This high water use efficiency is achieved by
obtaining CO2 at night and fixing it in the form of the
acid malate, which is stored in vacuoles. During the
day, carboxylation of malate releases CO2, which
cannot escape back to the atmosphere since the
stomata are closed, is reduced to carbohydrates via
the C3 PCR cycle.

Water Use Efficiency

The success of these various processes of maximizing
carbon uptake while minimizing water loss is ex-
pressed by the water use efficiency, WUE:

WUE ¼ Moles of CO2 fixed

Moles of H2O transpired
½2�

This ratio captures what is often referred to as
the photosynthesis–transpiration dilemma; how
to maximize carbon intake while minimizing water
loss? In regions where water is nonlimiting, canopies
usually maximize leaf area to maximize light
interception without regard for water loss. In
regions where water is a limiting factor (sometimes
seasonally or even diurnally), various strategies in
addition to the various biochemical pathways just
discussed may be used to minimize transpirational
water loss.

Leaf and canopy morphology are often modified to
minimize water loss. New leaves and stems grown

under water deficits tend to be smaller than those
grown under nonstressed conditions. Existing leaves
often senesce and fall off during periods of water
stress. These leaf area limitations and adjustments are
usually the first responses of plants to slow, long-term
dehydration. The structure of the canopy, and of
individual leaves (e.g., edge shapes, leaf hairs) can also
affect water loss. For example, a canopy that is
aerodynamically rough (e.g., forests) tends to enhance
water and heat loss by having a low aerodynamic
resistance (see ‘WindandTurbulence’ below),whereas
aerodynamically smooth canopies (e.g., crops) tend to
have a large aerodynamic resistance which suppresses
water loss and heat exchange. Prolonged drought can
also lead to an expansion of the root system into
deeper soils wherewatermay bemore plentiful than at
the surface.

In response to short-term water stress, or after the
plant has reached its maximum leaf area, stomatal
closure can effectively reduce transpirationwater loss.
Stomatal closure occurs either passively when rapid
water loss from the guard cells cannot be replenished
by water from adjacent epidermal cells or else meta-
bolically when solute transport from the guard cells
results inwater loss, decreased turgor, hence closure. It
is thought that abscisic acid (ABA) delivered to the leaf
from the roots, in addition to playing a role in leaf
abscission, also plays a key role in initiating stomatal
closure, as it is at the roots where drying is first
detected.

Canopy Conductance

The transpirational water loss from a leaf is con-
trolled not only by processes internal to the leaf,
but also external processes, and there are con-
siderable feedbacks between the two. The aggregation
of leaves into a canopy alters not only the light regime,
but also temperature, wind, and the concentration of
gases such as water vapor and CO2. There are also
concerns with scaling between the leaf and canopy;
that is, does a canopy behave like a ‘big leaf’, so that
processes observed at the leaf level can be simply
multiplied to the canopy level as a function of leaf
area?

An Ohm’s law electrical analogy (I ¼ V=r, whereV
is voltage, I current, and r resistance) has been
successfully applied to describe the transfer of heat,
water vapor, and CO2 between the leaf and the
atmosphere, and between the canopy and the atmos-
phere (Figure 2), and hence forms a basis for predicting
either the leaf stomatal (gL) or canopy (gC) conduct-
ance. Note that conductance is the reciprocal of
resistance (i.e., g ¼ 1=r). Simply stated, the flux or
exchange per unit area over a given time (i.e., I) is
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equal to the difference in concentration (potential
difference) between the leaf or canopy and the
atmosphere (i.e., V), divided by the resistance to this
transfer (i.e., r):

Flux ¼ Potential difference

Resistance
½3�

A popular approach to calculating gC from gener-
ally available canopy-level meteorological measure-
ments is by solving the Penman–Monteith combi-
nation equation for gC:

rC ¼ 1

gC
¼ ra S Rn �Gð Þ � lE S� gð Þ½ � þ rcpD

glE
½4�
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Figure2 Schematic of transfer of heat,water vapor, andCO2betweena leaf (A) or canopy (B)and theatmosphere.At the leaf level, heat

transfer depends on the difference between the leaf surface (TS) and air temperature (Ta) divided by the leaf’s boundary layer resistance

(rb), created by the transfer across the layer of still air adjacent to the leaf surface. The transfer of water vapor from the leaf is described by

the difference in the saturation vapor pressure calculated at TS (enðTSÞ) and the vapor pressure at the leaf surface (eS) divided by the leaf
stomatal resistance (rL), and the difference bewteen eS and the atmospheric vapor pressure (ea) divided by rb. Similarly, CO2 transfer into

the leaf depends on the difference in CO2 concentration in the atmosphere (ca) and the leaf surface (cS) divided rb, and the difference

between cS and the leaf’s internalCO2 concentration (ci) dividedby rL. At the canopy level, leaf-level valuesmust be replacedwith canopy-

level values (subscript C), and rb must be replaced with a canopy boundary layer resistance, rbC. In addition, the aerodynamic resistance

(ra) between the atmospheric values and those measured at some reference height above the canopy (subscript R) must be included.
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where rC and ra are the canopy and aerodynamic
resistances, respectively, S is the slope of the saturation
vapor pressure versus temperature curve, Rn the net
radiation, G and lE the soil and latent heat fluxes,
respectively, g the psychrometric constant, r the air
density, cp the specific heat of dry air, and D the
saturation deficit. This energy balance approach
works well in an analytical sense when lE has already
been measured for example, by eddy covariance
(Figure 3), and when soil water evaporation is negli-
gible.Whenmeasurements of lE are not available, the
use of eqn [4] in a predictive fashion requires that gC be
modeled, not an easy task given the complexity of a
plant’s response to the environment and vice versa.

At both the leaf and canopy level, conductance has
been found to respond to several variables, for

example PAR, temperature (leaf or air), humidity
(relative or the saturation deficit), and the CO2

concentration, [CO2] (leaf or air). The response of
individual species to these or other variables varies
greatly, but examples of the general responses in the
absence of any other environmental stresses are shown
in Figure 4.

The approach taken by researchers to develop
species-specific relationships has been either to make
measurements on individual leaves in a laboratory
under controlled conditions, or to make measure-
ments on individual leaves in the natural environment
either under controlled or awide variety of conditions.
Individual leaf measurements are obtained by placing
a leaf into a cuvette (Figure 5), and then either using
multiple regression (an additive model; eqn [5], where
a through d are regression coefficients, and x1 through
x3 are the various independent variables influencing
gL) or a boundary line analysis to determine the
stomatal response to the measured environmental
variables. The latter analysis involves measuring gL
under as many ambient conditions as possible (thus
requires large amounts of data), then fitting and
defining curves to the upper data points (e.g., f ðx1Þ),
where points below these curves represent times when
gL was limited by some other variable. The data are
then standardized by the maximum observed gL
(gLmax

), to form a multiplicative model (eqn [6]).
Once the relationships between gL and the environ-
ment are quantified, scaling from leaf to canopy is then
accomplishedwith aknowledge of leaf area index (eqn
[7]). If a single-species canopy has several layers, then
gL andL should bemeasured for each individual layer,
multiplied, and then summed. If there are several
species in the canopy, then gL and L for each species
should be measured, multiplied, and then summed to
scale up to the canopy.

gL ¼ aþ bx1 þ cx2 þ dx3 . . . ½5�

gL ¼ gLmax
f x1ð Þf x2ð Þf x3ð Þ . . .½ � ½6�

gC ¼ gLL ½7�
It has also been recognized, however, in addition to

gL responding to relative humidity at the leaf surface
(hS), gL in some species also responds to the [CO2] by
varying gL to maintain a constant [CO2] at the leaf
surface (cS). These two driving variables, hS and cS, are
combined in an empirical model widely recognized as
the Collatz model, which is based on the Ball–Berry–
Woodrow index:

gL ¼ m
A

cS
hS þ b ½8�

Figure 3 Eddy covariance instruments used to directly measure

the fluxes of heat, water vapor, CO2, and momentum. A sonic

anemometer measures the vertical, horizontal, and lateral wind

velocity components by measuring the speed of sound between

pairs of transducers. An open-path gas analyzer measures the

concentration of water vapor and CO2 by measuring the attenu-

ation of infrared radiation between a source and detector. The

correlation or covariance between fluctuations in simultaneous

high-frequency measurements of the vertical wind speed, and air

temperature, water vapor, CO2 or the horizontal wind speed are

used to calculate each of the fluxes.
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or, at the canopy scale:

gC ¼ m
AC

cC
hC þ bL ½9�

where m and b are empirically derived coefficients
based on cuvette gas exchange studies, A is the net
carbon assimilation rate, and the subscript C refers to
canopy-level values. In eqns [8] and [9], conductance is
now a function of the net assimilation rate and vice
versa; hence eqns [8] or [9] must be solved iteratively
using a series of equations that describes both
conductance and photosynthesis.

Light Penetration

A canopy develops because of competition for sun-
light, required for photosynthesis and hence growth.
Trees, through their intricate structure of leaves
supported by stems and branches, are remarkably
well adapted for light interception, and hence outgrow
nonstemmed species. Whereas an individual leaf
typically absorbs roughly 50% of the incident short-
wave radiation, a canopy typically absorbs roughly
80%. The canopy’s advantage stems from the absorp-
tion by leaves lower in the canopy of the scattered and

reflected light created as light passes through the upper
canopy.

To quantify the fraction of the top of the canopy
(incident) radiation (f ) that penetrates the canopy to a
depth z, a version of Bouger’s or Beer’s law is often
used:

fz ¼ expð � KLTÞ ½10�

where K is the extinction coefficient and LT the
cumulative leaf area index between the top of the
canopy and z. The fraction of the incident beam
radiation intercepted by the canopy is 1� fz. The
extinction coefficient K varies with the solar zenith
angle (thusK varies both diurnally and seasonally), the
optical properties of the leaves, and the canopy’s leaf
angle distribution, and thus can vary largely with the
canopy architecture. Equation [10] can also be used to
estimate the attenuation of other streams of radiation
with canopy depth (e.g., net all-wave radiation or
PAR), as long as the appropriate radiation-specificK is
used.

When L is measured either optically with commer-
cially available instruments, or by leaf harvesting or
litter collection, eqn [10] allows for profiles of light
penetration to be calculated (Figure 6). This in turn
allows canopy processes driven by light absorption to
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Figure 4 Examples of the response of leaf stomatal or canopy conductance to photosynthetically active radiation (A), leaf temperature

(B), saturation deficit (C), and atmospheric CO2 concentrations (D) when all other environmental stresses are absent.
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be calculated atmultiple levels within a canopy. Use of
eqn [10] assumes a homogenous canopy with ran-
domly distributed leaves that absorb all of the radia-
tion. Realistically, leaves are not randomly distributed
in a canopy, and are often grouped or ‘clumped’
together around whorls or branches. To account for
this, eqn [10] can be modified by multiplying LT by a
clumping factor, O. Various additional modifications
to eqn [10] exist to account for light scattering and
reflection, multispecies canopies, and spatially hetero-
geneous canopies. Nonetheless, inherent in all of these
modifications is the assumption that radiation de-
creases exponentially through the canopy as a function
of the cumulative leaf area index and an extinction
coefficient.

Canopy Productivity

For a canopy, we define the net primary productivity
(NPP) as the difference between gross primary pro-
ductivity (photosynthesis; GPP) and respiration (R):

NPP ¼ GPP� R ½11�

In other words, the carbon gained by the canopy is the
difference between the amount of carbon gained by
photosynthesis minus losses of carbon by respiration.
If water and nutrients are available then eqns [1] and
[11] show that the NPP of a canopy is limited only by
the absorbed PAR, and respiratory carbon loss, the
latter largely a function of temperature. Since NPP, or
canopy growth, is a function of these two different
processes, changes in the environment that affect
the balance between GPP and R will affect canopy
growth.

Themain variables affecting GPP have already been
discussed, namely light absorption, leaf area, and
canopy architecture. Other variables including water
and nutrient availability also affect GPP. For example,
the growth of most plants is limited by the relatively
low atmospheric [CO2], and an increase in atmos-
pheric [CO2] would result in increased photosynthe-
sis, biomass, and water use efficiency in many species.
Recently, the Free Air Carbon Dioxide Enrichment
Experiment (FACE) has been investigating the ef-
fects of increasing atmospheric [CO2] (370 versus
550 mmolmol�1) under open-air conditions on sever-
al natural ecosystems. With CO2 enrichment, results
have shown increased photosynthesis rates by up to
75%, increased canopy temperature due to reduced
transpiration bypartial stomata closure, and increased
success and dominance of exotic, invasive species.

Any increase in GPP due to an increase in atmos-
pheric [CO2] may however be limited by the availa-
bility of several other nutrients, especially nitrogen.
Despite an abundance of nitrogen in the atmosphere
(B78% in the homosphere), it is not in a form that
plants can use, owing to the stable triple covalent bond
between the two nitrogen atoms, which is difficult to
break. Only roughly 10% of the nitrogen in a usable
form ismade available to plants in precipitation by the
breaking of the bonds by lightning. The remaining
90% is made available through the process of biolog-
ical nitrogen fixation. As relatively few plant species
are themselves capable of converting or fixing nitrogen
into a usable form, they rely on microorganisms to do
this. The cycling of nitrogen in its various forms
between the atmosphere, plants, and soil is the key to
productivity in many of the world’s canopies.

Especially in forests, NPP is the difference between
two large numbers; respiration is just as important or
more important than GPP. Recently, several large-
scale experiments such as the Boreal Ecosystem–
Atmosphere Study (BOREAS), EUROFLUX, and
AmeriFlux were or are being conducted to study the
long-term carbon balance across several forests
around the world. Some results show that, especially
at higher latitudes, it is the ecosystem respiration that
determines the net ecosystem carbon exchange, not

Figure 5 Using a steady-state porometer to measure the leaf

stomatal conductance of Carex aquatilis in the Hudson Bay

Lowland near Churchill, Manitoba.
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photosynthesis. As short-term experiments have
shown that microbial respiration increases with
warming, this suggests that, with global warming,
canopies will become less effective in removing
atmospheric CO2, since any carbon gains would be
offset by the increased respiratory carbon loss. Over
long periods of time (decades), however, recent studies
have shown no control on respiration rates by
temperature. If this were correct, global warming
would result in an increase in atmospheric carbon
sequestration by plant canopies, as the respiratory
carbon loss would not increase.

Wind and Turbulence

The final section in our discussion of canopy processes
is on the effects of wind. Wind can not only affect the
shape and size of vegetation, but can also influence the
turbulent dispersion of heat and gases such as water
vapor and CO2. Further, it influences light penetration
(through the movement of leaves creating sunflecks,
patches of full sunlight that pass through gaps in the
canopy), the removal of intercepted precipitation, the
transport of particulates such as pollen, spores, and
pollutants, and canopy stability (wind sway or wind
throw).

Air flowing over a leaf does not behave as if the leaf
were a flat, smooth surface. Serrations at the edges of
leaves as well as leaf ribs generate turbulence. Turbu-
lence serves to increase the exchange of heat, water
vapor, and CO2, since exchange in turbulent air is
much more efficient than exchange in still air. Over a
canopy, air flow is reduced both by skin friction, or the

transfer of momentum across the horizontal canopy
boundary layer, and by form drag, or the force exerted
when air strikes the canopy in a direction other than
horizontal. The combination of these two forces is
expressed by the total shearing stress, t:

t ¼ KMr
du

dz
½12�

where KM is the eddy viscosity, and du=dz the change
in horizontal wind speed u with height z. Since leaves
and canopies are flexible, t changeswithwind speed as
the canopy changes form, often becoming more
streamlined as u increases.

Wind can also affect photosynthesis, especially in
understory species and leaves. A thick, multilayed
canopy can effectively reduce u within the canopy,
sometimes causing leaf temperatures and relative
humidity to increase, which, as shown in eqn [8],
acts to increase leaf stomatal conductance. Sunflecks
can increase in frequency, duration and size as wind
moves the canopy. Exposure to sunflecks has been
found to either lower the photosynthetic rate in
understory species that are light-intolerant, or else
increase it in those that are shade-tolerant.

Precipitation Interception

Canopies are effective at intercepting precipitation,
and water external to the leaf is free from direct
physiological controls, so that it is either evaporated
(rainfall) or sublimated (snowfall), both processes
influenced bywind.Depending on the canopy leaf area
and architecture, roughly 10–55% of the total annual
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precipitation can be intercepted and subsequently lost
through evaporation. Generally, the ability to inter-
cept precipitation increases with leaf area, and the
ability to evaporate this precipitation, also increase,
owing to a decrease in the aerodynamic resistancewith
increasing leaf area. Increasing wind speed increases
the evaporation rate of intercepted rainfall by decreas-
ing the aerodynamic resistance or else bymechanically
shedding water from leaves, resulting in throughfall.
Especially in coastal and mountainous environments,
leaves can act as condensation nuclei as fog collides
with and coalesces on individual leaves.

Similarly, as the canopy’s L increases, the potential
to intercept snow increases, and therefore the snow
water equivalent at the forest floor decreases. Subli-
mation losses of intercepted snow are especially
significant in boreal coniferous stands (e.g., up to
40% of the annual precipitation) where the leaves are
present during the long winter snowfall season. The
bridging of snow across leaves and branches can
effectively increase the interception area, and strong
winds can effectively remove large volumes of snow
off the canopy.

Particulate Transport

The transportation of particulates such as pollen,
spores, and pollutants is affected by wind, especially
within the canopy where origination or deposition of
many particulates occurs. Wind decreases exponenti-
ally with height within most canopies, with an
attenuation or extinction coefficient generally a func-
tion of the cumulative L. In canopies with a dense
overstory and open space beneath, however, the wind
speed and direction can be unrelated to that above the
canopy, owing to within-canopy horizontal pressure
differences. In such canopies, a secondary maximum
in u is often observed within the stem space.

In canopies, both the takeoff and dispersion or flight
of particles must be considered. To dislodge a particle
from a surface, the drag force (a function of u) and the
lift force produce a turning moment (created by a
difference in static pressure between the top and the
bottom of the particle) that must exceed the turning
moment due to the force of gravity. Hence, a threshold
u at the particle level is required to entrain the particle
into the atmosphere, yet the u at this level is usually
very low with non-turbulent flow. Therefore, many
species have developed active methods to project or
assist the entrainment of particles into the moving air
stream.

Once the particle is in the air stream, its path is
usually chaotic and random, and has been successfully
described for small particulates by diffusion theory
borrowed from air pollution studies, Lagrangian

simulations of particle trajectories, or more recently
large eddy simulations (LES). The particle will land
when the forces of gravity and drag exceed the lift
force.

Structural Failure

The structural failure of canopies is of great econom-
ical significance for agricultural canopies whether
crops or forests. The shaking of plants as a result of
wind has been proven to inhibit plant growth, as has
the exposure of plants to particulates such as ice
crystals or sand. The force required to catastrophically
overturn a plant can be calculated from the forces
acting on the plant, where the lateral force required to
exceed the turning moment is a function of u and the
drag coefficient for the canopy. The average threshold
u required for catastrophic plant structural failure fails
however to predict when stem failure will occur,
because canopies behave as aeroelastic structures.
Such structures fail when the gust frequency, with
mean wind speeds which may be below the theoret-
ically required threshold average wind speed, coincide
with the natural oscillation frequency of the canopy.
Additional factors such as soil texture, structure and
moisture should also be considered, as mechanical
failure of the soil could occur if, for example, the soil
became saturated.

Remote Sensing of Canopy Properties

Given the sparseness of ground-based point-measure-
ments of canopyprocesses, and the need for large-scale
and long-term observations, there have been many
recent developments in the use of satellite observations
to quantify the biophysical properties of plant cano-
pies. For example, data from the NOAA Advanced
Very High Resolution Radiometer (AVHRR) can be
used to calculate several biophysical properties at
a resolution of 1.1� 1.1 km. Of the several remote
sensing vegetation indices that exist, one using
AVHRR data is the normalized difference vegetation
index (NDVI):

NDVI ¼ rNIR � rREDð Þ
rNIR þ rREDð Þ ½13�

where rNIR and rRED are the reflectances in the near-
infrared and red wave bands, respectively, and can be
used to determineL, and the fraction of PAR absorbed
by a canopy (FPAR).WhereasL and FPAR can be used
as measures of the capacity of the canopy to intercept
PAR, the actual photosynthetic rate can be determined
from the absorbed PAR (APAR). This can be derived
from knowledge of APAR below the top of the canopy
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(APARSFC), the amount of PAR reflected from the top
of the canopy (APAR), and FPAR:

APAR ¼ APARSFC

1� APAR
FPAR ½14�

The ability to remotely sense APAR is important, as
APAR inherently drives all of the canopy processes
discussed in this article.

Despite this tremendous potential for remotely
sensing these canopy properties, complex algorithms
are required to correct for atmospheric effects such as
clouds, aerosol and ozone absorption, sun angle, and
bidirectional reflectance. Thus, ground-based point
measurements are still required to ensure that the
remotely sensed properties are correct.

See also

Agricultural Meteorology and Climatology. Biogeo-
chemical Cycles: Carbon Cycle. Boundary Layers:

Observational Techniques In Situ; Observational Tech-
niques–remote. Hydrology: Overview. Land–Atmos-
phere Interactions: Trace Gas Exchange. Micro-
climate.
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Introduction

The exchange of trace gases between the Earth’s
surface and the atmosphere is a fundamental process
of life. Primary productivity, as photosynthesis, in-
volves uptake of carbon dioxide and release of oxygen
andwater vapor.Many trace gases are also involved in
biogeochemical cycling of nutrient elements, in par-
ticular, sulfur and nitrogen. Gases such as sulfur
dioxide (SO2), hydrogen sulfide (H2S), carbonyl
sulfide (COS), dimethyl sulfide ((CH3)2S), nitrous
oxide (N2O), nitric oxide (NO), nitrogen dioxide
(NO2), and ammonia (NH3) are emitted from and
absorbed at the Earth’s surface, by plants or soil, as
part of natural processes. Industrialization has led to
large anthropogenic emissions of many of these trace
gases, with important implications for effects on
vegetation, soils and fresh waters in terms of acidifi-
cation and eutrophication. It has therefore become
important to be able to estimate the exchange of trace
gases between the surface and the atmosphere.
The deposition of pollutant gases to vegetation and
soils (dry deposition) contributes to the nutrient

budgets of ecosystems, and may exceed thresholds
above which irreversible changes occur. Direct
gaseous deposition forms part of ‘critical load’
calculations, which are used in Europe as a means of
setting strategies for pollution control. Trace gas
exchange is also measured to assess responses to
land use change and pollutant stress. For example,
increased deposition of nitrogen (either as fertilizer or
as atmospherically deposited pollution) can increase
soil emissions of nitrous oxide (N2O), which is an
important ‘greenhouse’ gas. Methods of measuring
trace gas exchange have also been developed
to investigate the natural biogenic emissions of other
radiatively active gases such as methane (CH4), so
that forecasts can be made of the effects of changing
land use or climate on uptake by, and emission
from, soils. Vegetation also emits a wide range of
gases, including volatile organic compounds (VOCs),
which contribute to the formation of tropospheric
ozone (O3). Knowledge of biogenic VOC emission
rates, and the factors that control them, is necessary
for modeling the production of ozone on regional and
global scales. Deposition at the ground, and uptake by
vegetation, is one of the major sinks for tropospheric
ozone, so this process also must be understood before
atmospheric chemistry and transport models can be
developed.
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Transfer Processes

The transfer of gases between the Earth’s surface and
the atmosphere can occur in both directions, and is
controlled both by atmospheric processes and by the
state of the ground surface. Sources and sinks of trace
gases at the ground may be in the soil itself, or both in
and on the vegetation present. The magnitude of the
trace gas flux depends on both the physical and
physiological state of the vegetation F i.e., it is
controlled by the structure of the vegetation as it
affects air turbulence, and by the biological and
chemical processes occurring inside and on the surface
of leaves.

In contrast to the bidirectional fluxes ofwater vapor
and carbon dioxide, many trace gas fluxes are unidi-
rectional, and the formulation of the transfer process
has conventionally been expressed in a different way.
Fluxes of trace gases to or from the surface are usually
expressed as mass fluxes per unit ground area
(mgm�2 s� 1 or ngm� 2 s�1). These are often refer-
enced to an air concentration (for downward fluxes) at
a fixed height above the ground, expressed as a mass
per unit volume (mgm� 3). The ratio of flux to
concentration in these units is called the deposition
velocity (vd), because it has units of velocity (m s�1).
The equivalent for upward fluxes is sometimes
referred to as an ‘exchange velocity’.

Since the late 1970s, methods for measuring
trace gas concentrations over short periods (several
minutes or less) have been developed and
have permitted trace gas fluxes to be measured over
a range of different land surfaces bymeasuring vertical
concentration gradients. More recently, the develop-
ment of rapid-response gas sensors, which can
provide precise concentration measurements at fre-
quencies of tens of hertz, has permitted the direct
measurement of trace gas fluxes using eddy covariance
methods. Both of these techniques integrate over a
‘footprint’ of land surface (typically 104m2) upwindof
a fixed measurement point, and several conditions
must be satisfied for the micrometeorological theory
used to determine fluxes to be valid. For example, the
terrain should be uniform, and there should be very
small horizontal gradients in concentration.On small-
er scale (typically of the order of 0.1–10m2), trace gas
fluxes can be measured using boxes placed on the
ground, in which changes in trace gas concentrations
are measured either statically or dynamically. On a
larger scale, trace gas fluxes have been calculated on
scales of around 102 km2 by measuring changes with
time of trace gas concentration below a well-defined
inversion layer when vertical mixing is suppressed. At
much larger scales, fluxes have been inferred from
measurements in the well-mixed boundary layer

upwind and downwind of a region typically 104 km2

in area.

Pathways of Gas Transfer

The transfer of gases between the atmosphere and the
surface, whether bare soil or vegetation, may be
thought of in terms of three consecutive pathways.
Each of these pathways imposes a resistance on the
overall transfer process, and the networkof resistances
is a convenient way of describing the different contri-
butions of the pathways to the overall process, by
analogy with an electrical circuit (Figure 1). In this
model, resistance has units of time per unit length
(sm�1); the reciprocal (units m s�1) is referred to as a
conductance. The flux is then driven by the difference
in trace gas concentration between a reference height
(z) in the atmosphere and the concentration at the sink
(or source) at the surface, analogous to a potential
difference applied across the combined resistances of
the transfer pathways.

The first pathway is the transfer of gases by
turbulence within the atmosphere, and depends upon
the surface roughness and wind speed. The associated
aerodynamic resistance (ra) decreases with increasing
wind speed, and is small for rough vegetation (e.g.,
forests; typically 2–10 sm� 1) and larger for short
vegetation (e.g., short grass; typically 30–300 sm� 1).
It is implicitly a function of height above the canopy
(z), and is generally calculated between a reference
height (z� d) and the notional height (z0 þ d), where
d is the displacement height associated with aerody-
namically rough plant canopies, and z0 is the rough-
ness length of the surface. The second part of the
transfer process involves the molecular diffusion of
gases across the laminar boundary layer that forms at
surfaces. The thickness of this layer is a function of the
geometry of the leaf or surface element, and also
depends on the wind speed. Although several formu-
lations of this term (rb) exist, it is generally small
relative to the third, or surface resistance (rc). When
considering the flux of gases to or from a vegetation
canopy, the surface resistance term includes several
parallel pathways that depend upon the characteristics
of the ultimate absorbing (or emitting) surface.
Different sinks (and sources) are present in a canopy,
and the surface resistance is often split into a stomatal
term and a nonstomatal term. The nonstomatal term
may be further decomposed into parallel pathways to
understorey vegetation or bare soil, to dry canopy
surfaces (e.g., leaf cuticles), and to wet surfaces. These
parallel resistances are shown inFigure 1. Biological or
chemical processes occurring at the surface control
the magnitude of the surface resistance. Stomatal
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resistance increases as stomata close, either at night or
in response to a large vapor pressure deficit. Stomatal
resistance to trace gas transfer can be estimated from
measurements of carbon dioxide or water vapor
exchange through stomata, making allowance for
the relative diffusion rates of the trace gas molecules.
Alternatively, stomatal resistance may be modeled
using parameterizations of stomatal opening and
closure on the basis of light intensity and vapor
pressure deficit. The nonstomatal terms are difficult to
model, particularly where the gas exchange process at
the surface depends upon solubility or reaction in
water. The nonstomatal resistance is often obtained as
the residual between the (measured) surface resistance
and an estimated or modeled stomatal resistance.

Micrometeorological Theory and
Methods

Measurements of trace gas exchange to the land
surface over distances of 10–1000m may be made by
three techniques that operate on different time scales.
The particular method employed may be determined
by the availability of an appropriate sensor for
measuring the trace gas concentration.

The Aerodynamic Gradient Method

The transport of gases to and from the surface is
regarded as occurring by the same turbulent processes

that transport momentum and heat. The flux is then
determined from measurements of the vertical gradi-
ent above the surface of wind speed, temperature, and
gas concentration. Formally, the flux of trace gas s (Fs)
is proportional to the vertical concentration gradient:
Fs ¼ �rKsqs=qz, where Ks is the transfer coefficient
(eddy diffusivity) for gas s, r is the air density, and
qs=qz is the vertical gradient in concentration (ex-
pressed as a mixing ratio in dry air). By convention,
fluxes towards the surface (qs=qzo0) have a negative
sign. Similarly, the flux for momentummay be defined
in terms of the vertical gradient in wind speed, and the
flux for heat in terms of the vertical gradient in
potential temperature, with transfer coefficients Km

and Kh respectively. The transfer coefficients are
functions of the measurement height (z). In atmos-
pheric conditions of neutral stability, the eddy
diffusivities for heat, momentum, and trace gases are
equal, so that the trace gas fluxmay be calculated from
measurements of the momentum flux obtained from
the vertical gradients of wind speed. This technique
can use relatively slow analytical methods for meas-
uring concentration gradients, on the assumption that
atmospheric turbulence is relatively constant over
periods up to about 30minutes, but requires a capa-
bility tomeasure concentration differenceswith height
of a few percent of the mean. In stable or unstable
conditions, corrections must be applied to correct for
differences between eddy diffusivities for heat and
momentum transfer. Semiempirical relationships have
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been developed based on measured gradients in wind
speed and potential temperature, which permit the
estimation of trace gas fluxes under a wide range of
conditions.

The Eddy Covariance Method

Trace gases are transported to and from the surface in
turbulent eddies of air. Themethod canbe envisaged as
estimating the net flux of a gas by the simultaneous
measurement of the air concentration and vertical
wind speed in different upward- and downward-
moving eddies as they move through a hypothetical
plane above the surface. Formally, the flux (Fs) is given
by the mean (denoted by a horizontal bar) of the
product of vertical wind speed (w) and air concentra-
tion (ws) (eqn [1]).

Fs ¼ w � ws ¼ �ww � �wws þw0 � w0s ½1�
In eqn [1], �ww and �wws are the mean vertical wind speed
and air concentration, and w0 and w0s are the instan-
taneous deviations from themeans. To capture the full
spectrum of eddy sizes responsible for trace gas
transport, the wind speeds and air concentrations
must be measured at a frequency of 5–20Hz, depend-
ing on the scale of surface roughness and the height of
the reference plane above the surface. The analytical
method must also be able to resolve small differences
in gas concentration at that frequency. Care must be
taken to ensure that sensible and latent heat fluxes,
which cause vertical gradients in air density, do not
introduce large uncertainties into the measurements.
This method is able to resolve rapid changes in surface
characteristics, and is applicable for use in aircraft,
where the horizontal resolution is determined by the
frequency of measurements.

The Eddy Accumulation Method

This is a variant of the eddy covariance method but
does not require rapid gas analysis. Instead, the air
sampling system is controlled by the vertical wind
speed sensor (usually a sonic anemometer) to direct the
sample air stream through one of three sample inlet
lines, where gas can be accumulated (in a bag, or
trapped on an absorbent material) prior to analysis.
The three inlet lines correspond to upward-moving
eddies, downward-moving eddies, and slack air. Very
rapid (41Hz) valve switching is required, and the
sampling rate should be proportional to the measured
verticalwind speed. In practice, this latter requirement
is technically very difficult, and themethod of ‘relaxed
eddy accumulation’ is more often employed. In this
case, the sampling rate remains constant, and the
vertical flux is estimated as the product of the standard
deviation of vertical wind speed, the difference in

average concentration in upward- and downward-
moving eddies, and a scaling factor that depends on
the nature of the surface. The scaling factor is
determined by reference to the flux of water vapor
obtained by eddy covariance or gradient methods, or
may be estimated empirically for a given surface.

Constraints and Uncertainties in Measurements

The above methods are based on the assumption that
the flux to or from the surface is sufficiently close to the
value measured at some reference height above the
surface that simple corrections may be applied to
derive the actual surface flux. In practice, several
processes may upset this ‘constant flux’ assumption:

1. Chemical reaction between the measurement
height and the ground. Trace gas concentrations
may be depleted or enhanced below the measure-
ment height, so that there are additional sinks/
sources besides transfer at the surface. Examples
include the loss of ozone (O3) by reaction with
nitric oxide (NO) that may have originated from
microbial processes in the soil, the production of
nitrogen dioxide (NO2) from the same reaction, or
the reaction of terpenes and other biogenic hydro-
carbons with O3 and hydroxyl (OH) radicals. The
uncertainty is greatest for fast chemical reactions
that occur on time scales similar to those of the
transport processes. In such cases, actual surface
fluxes can usually only be calculated by independ-
ent measurement of all the factors influencing the
reaction rates and detailedmodeling of the coupled
transport/chemistry system. Simplifications can be
introduced if constraints on the system can be
measured independently (for example, in the case
of NO 1 O3, by measuring the NO flux from the
soil surface directly).

2. Changes inmean concentrationwith time. Changes
in air concentration with time lead to ‘storage’
errors, where a component of the vertical transport
relates to the restoration of equilibrium across the
reference plane as concentrations above or below
change through factors not related to the surface
processes. Large uncertainties can arise when there
are marked changes in mixing layer height: just
after sunrise, for example.

3. Horizontal gradients in concentration. Uncertain-
ties are caused by advection of air horizontally
below the measurement height when there are
horizontal gradients in air concentration, and may
be important for major pollutant gases close to
sources. For example, an error of around 40% is
introduced for a reference height of 1m by a
horizontal gradient of 10 mgm� 3 km�1 where the
vertical flux is 50 ngm�2 s� 1. Such gradients may
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be found close to urban areas or large point
sources, in regions where flux measurements may
be important in determining rates of pollutant
deposition and their effects.

Large-scale Measurements

The Nocturnal Box Method

Whena stable temperature inversion forms close to the
Earth’s surface, the air closest to the ground is
effectively isolated from the atmosphere above. Pro-
vided that the boundary layer is well mixed, the
emission or deposition of gases at the surface results in
a gradual increase or decrease in concentration under
the inversion. If the depth of the surface layer is
known, or can be estimated, the change in concentra-
tionwith time can be used to infer the rate of exchange
of a gas at the surface. Where conditions are stable for
several hours, the change in concentrationmeasured at
a fixed point follows a first-order increase or decrease
from which the flux may be calculated directly. Such
measurements integrate over a large surface area. This
method is not applicable to gases where chemical
production or loss in the surface air would cause
temporal changes in concentration, but it has been
used to estimate rates of O3 deposition in rural air
(where reaction with NO is negligible) and the
deposition of the nonreactive gases CO and H2.

The Daytime Boundary Layer Budget Method

In a well-mixed daytime boundary layer with a well-
defined capping inversion, and in the absence of deep
convection, concentrationmeasurementsmadewithin
the boundary layer can be taken as representative of
thewholemixing depth, typically of the order of 1 km.
If there is a steady horizontal wind over a period of
hours, then air can be sampled (from an aircraft) along
a transect upwind of a region, and subsequently
measured along a transect downwind of the region. In
this context a region canbe several hundredkilometers
across. The flux to or from the surface is then
calculated from a mass balance of gas entering and
leaving the hypothetical box formed by the capped
boundary layer. In practice, this method is only
applicable to gases that react very slowly in the
atmosphere, but it has been applied to the estimation
of total fluxes of methane (CH4) and nitrous oxide
(N2O) from the United Kingdom.

Small-scale Measurement Methods

Gas exchange fluxes can be measured on spatial scales
of 0.1–10m2 using enclosure methods. At small
spatial scales there are problems with surface hetero-

geneity, and such techniques are often used to eluci-
date functional relationships between fluxes and
environmental conditions such as temperature or
surface wetness, while recognizing that the absolute
fluxesmeasuredmay vary greatly over distances of 10–
100m.

Static Boxes

This technique is well suited to unreactive gases such
as CH4 and N2O, where interactions with the box
materials are not important. The rate of change of gas
concentration within a box sealed to the surface is
measured with time, and the flux is determined from
the volume:surface area ratio and the rate of change in
concentration. The method is well suited to sampling
fluxes across wide-ranging conditions of soil and short
vegetation, but the use of such data to estimate field-
scale fluxes generates large uncertainties unless the
surface is homogeneous. The environment inside the
closed box will in general be very different from that
outside, with turbulent mixing greatly suppressed
(unless an internal fan is used) and large changes in
concentrations of water vapor and carbon dioxide if
vegetation is enclosed.

Dynamic Boxes

As in the static box method, a box is sealed to the
surface and the gas concentration is measured in air
pumped into and out of the enclosed volume. The
surface flux is then calculated from the volume:surface
area ratio, the air flow rate through the box, and the
difference between inlet and outlet concentrations.
Although still subject to the same problems of
sampling the underlying surface as for static boxes,
the finite residence time means that fluxes of chemi-
cally reactive gases can be measured in this way,
particularly if the box is constructed of chemically
inert materials. However, such methods inevitably
alter the conditions above the surface, if only because
the surface is isolated from atmospheric turbulence.
Internal mixing fans may be used to provide turbu-
lence, but in general these will not reproduce the air
movements in the absence of the box. This does not
invalidate the use of such methods for process-based
studies, but it introduces unquantified uncertainties
into the measured fluxes and their relationship to the
actual surface flux outside the box.

Control of TraceGas Fluxes by Surface
Processes

Stomatal versus Nonstomatal Pathways

The transfer resistance between the atmosphere and
the surface has been described in terms of atmospheric
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factors,which control ra and rb, and surface factors, rc.
In the simplest case, with highly reactive gases such as
nitric acid vapor (HNO3) or hydrogen chloride (HCl)
the surface resistance term is small relative to the
atmospheric transfer resistances. Under these condi-
tions, trace gases are deposited to vegetation at rates
approaching those for momentum, with deposition
velocities up to several cm s� 1, depending on wind
speed and surface roughness. At the other extreme, the
nonstomatal surface resistance is very large, so that
transfer of the gas only occurs when stomata are open.
This type of behavior is observed for nitrogen dioxide
(NO2). More generally, emission or deposition occurs
through both stomatal and nonstomatal pathways,
with total surface resistances varying diurnally and
seasonally. Although the contribution of the stomatal
pathway can be estimated fairly precisely from simul-
taneous measurements of CO2 and/or water vapor
fluxes, elucidation of the nonstomatal pathways is
more difficult. The nonstomatal resistance at the
surface is usually obtained by difference between the
momentum flux above a vegetation canopy (rc ¼ 0),
the overall gas flux, and the estimated or measured
stomatal flux. The residual nonstomatal flux compris-
es several different potential sink or source processes,
as illustrated in Figure 1. For example, although
deposition of O3 follows a diurnal cycle that coincides
with stomatal opening, the nighttime flux (when
stomata are closed) can be a large fraction of the
daytime flux. Integrated over a whole year, the
nonstomatal flux may even be greater than the flux
to the inside of the leaf. For emission, similar patterns
may be observed, with emissions from vegetation of
some volatile organic compounds (VOCs) following
stomatal opening, while emissions of other VOCs
appear to be relatively invariant through day and
night, and more responsive to temperature.

Chemical Reactions at the Surface

Additional complications arise for gases that dissolve
in, or react with, surface water. Water-soluble gases
such as sulfur dioxide (SO2) are rapidly absorbed
through stomata, and if external leaf surfaces are dry
the flux is determined by stomatal opening. However,
in the presence of surface moisture, a parallel transfer
pathway becomes possible, and the overall fluxmaybe
dominated by nonstomatal deposition. The surface
moisture is not an infinite sink for SO2, and in practice
the surface flux will be determined by factors such as
the acidity of the surface water and the rate of
oxidation to sulfate. A dynamic equilibrium may be
established between the atmosphere and the solution
of the trace gas on the surface, so that the net flux
approaches zero. If the surface water subsequently

evaporates, dissolved SO2 may be released back into
the atmosphere, producing an upward flux. If suffi-
cient ammonia is also present, rapid uptake of this
highly soluble gas into the surface water maintains the
conditions of low acidity that favor SO2 uptake, and
the surface resistance can approach zero. More gen-
erally, a detailed understanding of all the chemical
processes, including surface ion exchange and oxida-
tion pathways, is needed before the overall transfer of
SO2 can be modeled successfully.

Bidirectional Exchange

The surface exchange of ammonia (NH3) is possibly
the most complex of all the trace gases. The internal
intercellular fluids of leaves contain ammonium ions
(NHþ

4 ), which are in dynamic equilibrium with gas-
eous NH3. The overall direction of the surface
exchange therefore depends upon the relative concen-
trations of the gas inside and outside the leaf. If the
surface exchange were purely stomatal, then the
process could be relatively simply modeled from
knowledge of the internal ammonium concentration
and the air concentration of the gas. However, NH3

also interacts with external leaf surfaces, which can
provide a sink both for atmospheric NH3 and also for
NH3 emitted from stomata when air concentrations
are very small. Moreover, the difference between
internal and external NH3 concentrations may vary
through a plant canopy, so that NH3 emitted close to
the ground is reabsorbed before it can escape from the
vegetation canopy. In this situation the resistance
model of Figure 1 is not appropriate, and terms
equivalent to capacitors in the electrical analogue
must be introduced. Much progress has been made in
recent years, however, and measured hourly fluxes
(both upward and downward) have been modeled
successfully over periods of days for several vegetation
types.

Bidirectional trace gas fluxes are not restricted to
NH3. Microbial processes in soil can switch from
consumption to production of trace gases as soil water
status changes. Depending on soil type, anaerobic
conditions lead to emission of N2O, CO, and CH4,
while in drier soils COandCH4are consumed andNO
is released rather than N2O. The switch from one type
of behavior to the other can be seen in the same soil as
the soil water status changes. At the field scale, local
differences in soil chemistry and structure can mean
that some patches are emitting a gas that is being
absorbed only a few meters away. Perhaps the best
illustration of this type of behavior is in blanket peat
bogs, where methane is consistently emitted from wet
pools and removed (by oxidation) at neighboring drier
tussocks. At the scale of the landscape, the net flux is
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determined by the relative proportion of wet and dry
areas.

Model Parameterization for Mapping
Trace Gas Fluxes

One of the main objectives of measuring trace gas
exchange is to be able to estimate fluxes at the regional,
national, or global scale. The complexity of the
processes involved, for all but a few gases, means
that simplifications must be introduced into models
designed to estimate large-scale fluxes and budgets.
Initially, the modeling of surface exchange as part of
schemes to represent the long-range transport and fate
of trace gases used single parameters for the deposition
velocity of each gas.More complexmodelsmight vary
the deposition velocity by night and day. As under-
standing improved, models weremodified to calculate
explicitly the atmospheric resistance terms, as a
function of mean wind speeds and vegetation type,
using climatological maps of wind speed and vegeta-
tion classifications based on survey or remote sensing.
The most recent models include factors to account for
surface wetness, and may model stomatal opening
from parameterizations based on a range of different
vegetation types and responses, with explicit depend-
ence on temperature and light levels. The introduction
of detailed surface chemical processes (e.g., the
dependence of SO2 deposition rates on the availability
of NH3) is still beyond the scope of regional and
national modeling, not least because the required data
on air concentrations are not available at the spatial
scales necessary. The evaluation of the uncertainties in
such models, arising from the inevitable use of
spatially and temporally averaged data (for meteoro-
logical aswell as chemical parameters) is an active area
of current research.

Nomenclature

Fs Flux of trace gas s (gm� 2 s� 1)
ws Air concentration of gas s (gm� 3)

s Mixing ratio of gas s (dimensionless)
(volume fraction)

rn Transfer resistance for pathway n (sm�1)
1=r Transfer conductance (m s�1)
vd Deposition velocity (5 flux/concentration)

(m s� 1)
z Height above surface (m)
d Displacement height of canopy (m)
z0 Roughness length of surface (m)
r Air density (gm� 3)
Ks Eddy diffusivity of gas s (m2 s�1)
w Vertical wind speed (m s� 1)

See also

Biogeochemical Cycles: Nitrogen Cycle; Sulfur Cycle.
Global Change: Biospheric Impacts and Feedbacks.
Land–Atmosphere Interactions: Canopy Processes;
Overview. Methane. Ozone: Surface Ozone Effects on
Vegetation.
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LAND–SEA BREEZE

RA Pielke Sr, Colorado State University, Fort Collins,
CO, USA
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Of all the mesoscale phenomena, sea and land breezes
have been the most studied, both observationally and

theoretically. This is undoubtedly a result of the
geographically fixed nature of the phenomenon (the
location of land–water boundaries), as well as the
repetitive nature of the event. The sea breeze is defined
to occur when the wind is onshore, i.e. blowing
towards the land,whereas the landbreeze occurswhen
the wind is offshore and the opposite flow exists.
Detailed discussion of sea and land breezes is given in
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Simpson (1994), with a briefer discussion in Pielke
(1984, 2002) and Atkinson (1981). Sea and land
breezes which occur associated with larger lakes are
called lake and land breezes (e.g., Neumann and
Mahrer 1975). The leading edge of the sea breeze
winds is called the sea breeze front.

During the case of calm large-scale winds and in
flat terrain, it is comparatively easy to describe
the diurnal variations of the coastal wind circulations.
Defant (1951) presented an excellent quali-
tative description for this condition, which is illustrat-
ed in Figure 1. The idealized sequence of events is as
follows:

1. At some time in the early morning the pres-
sure surfaces become flat and no winds
occur (e.g., at 0600 LST – perhaps an hour after
sunrise).

2. Later in the morning, mass is mixed upward over
land by turbulent mixing in the unstably stratified
boundary layer and also because of the expansion
of the volume of air due to its heating creating, an
offshore pressure gradient at some distance above
the ground (Tijm and von Delden 1999; Nicholls
and Pielke 1994). Over water, the penetration of
sunlight and resultant distribution of radiative
heating with depth and the ability of water
to mix minimizes significant heating of the
surface (e.g., at 0900 LST). The temperature of
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flux divergence; downward mass flux
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Figure 1 Schematic of the diurnal evolution of the sea and land breeze in the absence of synoptic flow. (From Pielke, 1984.)
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divergence
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Figure 2 Schematic of the influence of coastline configuration

on the sea breeze in the absence of large-scale flow. (From

Pielke RA (1984) Mesoscale Meteorological Modeling: Academic

Press.)
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the water is not important in determining the
strength of the sea breeze, as long as the air above is
warmer than the water.

3. The resultant offshore movement of air above the
ground near the coast creates a low-pressure region
at the ground, and onshore winds (the sea breeze)
develop (e.g., at 1200 LST).

4. The onshorewinds transport coolermarine air over
the land, thereby advecting the horizontal temper-
ature gradient and, hence, the sea breeze inland.
The distance the sea breeze travels inland depends
most directly on the intensity of the total heat input
to the air (Pearson 1973; Tijm et al. 1999;
Neumann 1977) and the latitude (Rotunno 1983)
(e.g., at 1500 LST).

5. As the sun sets, longwave radiational cooling
becomes dominant over solar heating, and the local
wind field removes the horizontal temperature
gradient. The pressure surfaces again become hor-
izontal (e.g., at 1800 LST).
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GrandGrandGra
aaBahama
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cidy
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EYWEYYWW sAndros
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Figure 3 Radar echo coverage at 1501ESTon19August 1971 as

seen by the Miami WSR-57 10cm radar. The sites with weather ob-

servations are noted by using the standard airport identifiers. (From

Pielke RA (1974) A three-dimensional numerical model of the sea

breezes over south Florida.MonthlyWeather Review 102: 115–139.)

HORIZONTAL VELOCITYHORIZONTAL VELOCITY HOUR 3 01HOUR = 3.01
USYNOP = 6.0 M/SEC ANGLE = 135.

LEVEL = 0.05KM

HORIZONTAL VELOCITY HOUR = 8.00
USYNOP = 6.0 M/SEC ANGLE = 135.

LEVEL = 0.05KM

HORIZONTAL VELOCITY HOUR = 10.01
USYNOP = 6.0 M/SEC ANGLE = 135.

LEVEL = 0.05KM

HORIZONTAL VELOCITYHORIZONTAL VELOCITY HOUR 5 00HOUR = 5.00
USYNOP = 6.0 M/SEC ANGLE = 135.

LEVEL = 0.05KM

Figure 4 Horizontal wind at 50m level, 3, 5, 8, and 10 hours after simulated sunrise for a uniform synoptic south-east wind case over

southFlorida.Note how thewind convergence pattern inFigure 3 closely corresponds to thewind convergence pattern inFigure3. (From

Pielke RA (1974) A three-dimensional numerical model of the sea breezes over south Florida.Monthly Weather Review 102: 115–139.)
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6. As longwave cooling continues and compresses, the
air near the ground becomes denser and sinks. The
resultant lowering of the pressure surfaces a short
distance above the ground creates an onshore wind
at that level (e.g., at 2100 LST).

7. In response to the loss of mass above the surface
over the water a pressure minimum develops at the
ocean interface immediately off the coast. The
offshore wind that then develops near the surface is
called the land breeze (e.g., at 2400 LST).

8. The distance of offshore penetration of the land
breeze depends on the amount of cooling over the
land. Because the planetary boundary layer over
land is stably stratified at night and, therefore,
vertical mixing is weaker and closer to the ground,
the land breeze is a shallower and weaker phenom-
enon than the daytime sea breeze (0300 LST).

There may even be a higher, third layer of flow
associated with these local winds, which Tijm et al.
(1999b) refer to as a ‘return–return current’.

When the coastline is irregular, local regions of
enhanced or weakened low-level convergence devel-

op, as illustrated for the daytime portion of the cycle in
Figure 2. (Such zones of preferential convergence help
explain the preference for showers and thunderstorms
in certain locations in south Florida during the
summer, as seen, for example, in Figure 3 and
discussed in Pielke et al. 1991.)

The evolution of the sea breeze is somewhat more
complicated when a weak or moderate (i.e., 6m s�1)
prevailing synoptic flow is included. For the two
distinct situations of comparatively cold water and
comparatively warmwater relative to land, a synoptic
wind direction from the colder to the warmer surface
weakens the intensity of the local wind by diminishing
the horizontal temperature gradient. By contrast,
when a prevailing larger-scale flow of the same
strength is from the warmer to the colder surface, if
the synoptic wind speed is not too strong, the
temperature gradient is strengthened and the subse-
quent local wind flow is stronger. An example of this
effect is shown in Figures 4 and 5where the sea breeze
wind convergence is more clearly evident when the
large-scale wind is in the opposing direction from the
sea-breeze-altered flow.

HORIZONTAL VELOCITY HORIZONTAL VELOCITY
USYNOP = 6.0 M/SEC USYNOP = 6.0 M/SEC

LEVEL = 0.05KM LEVEL = 0.05KM

HOUR = 3.00 HOUR = 5.01
ANGLE = 225. ANGLE = 225.

HORIZONTAL VELOCITY
USYNOP = 6.0 M/SEC

LEVEL 0.05KMLEVEL = 0.05KM

HOUR = 8.00
ANGLE = 225.

HORIZONTAL VELOCITY
USYNOP = 6.0 M/SEC

0 05LEVEL = 0.05KM

HOUR = 10.01
ANGLE = 225.

Figure 5 As Figure 4, except for a uniform synoptic south-west wind. (From Pielke RA (1974) A three-dimensional numerical model of

the sea breezes over south Florida.Monthly Weather Review 102: 115–139.)
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Examples of water that is warm relative to the land
include the eastern sides of continents in the tropics
and midlatitudes at night and over coastal waters
during a polar outbreak. Situations with water that is
cold relative to the adjacent land occur on the eastern
sides of continents in tropical and midlatitudes during
sunny days, and also along the western sides of
continents in which upwelling is occurring, as well as
along polar coastal areas in the summer. Fog and low
stratus often form over the relatively cold water in
polar and upwelling ocean areas and move onshore
with the sea breeze.

The magnitude of the effect of a particular horizon-
tal temperature gradient can be estimated from exist-
ing observational and numerical studies. It has been
found that, in the tropics and midlatitudes, a horizon-
tal gradient of less than about 10Wm�2 per 30 kmhas
only a minor influence on local wind patterns. With a
gradient of 100Wm�2 per 30 km, however, signifi-
cant effects are discernible from the statistical evalu-
ation of observational data, whereas at 1000Wm�2

per 30 km, the influence on local wind patterns is very
pronounced in case-by-case studies. With a nonzero
large-scale wind, the heating must be greater in order
for a sea breeze to develop. Using observational data it
has been shown that a sea breeze does not develop
when the horizontal pressure gradient generated by
the differential heating between land and adjacent
water is insufficient to overcome the kinetic energy of
the large-scale flow.

When the coastal terrain is hilly or mountainous,
sea and land breezes interact with local winds that
are created as a result of the heating and cooling of
this elevated terrain relative to the adjacent atmos-
phere at the same altitude. The sea breeze and upslope
mountain flow that are created as the terrain is
heated during the day, for example, can generate
particularly strong onshore winds. However,
the subsidence in the adjacent atmosphere caused
by the up-slope flow can inhibit the development of
the sea breeze, resulting in an onshore wind that is
less then the sum of the two winds. In addition,
the intensity of combined local wind circulation
tends to be less when the terrain slope is larger
(Segal et al. 1983).

See also

Coastal Meteorology. Mesoscale Meteorology:
Mesoscale Convective Systems; Models; Overview.
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Introduction

Turbulence consists of three-dimensional, chaotic, or
random motion that spans a range of scales that
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increases rapidly with Reynolds number (see Turbu-
lence and Mixing). The complete numerical integra-
tion of the exact equations governing the turbulent
velocity field (the Navier–Stokes equations) is known
as direct numerical simulation (DNS). Because of
today’s limited computing power or resolution,DNS is
restricted to low-Reynolds-number turbulence, which
exists in laboratory flows, e.g., those in wind tunnels.
At present, the largest DNS utilizes 109 gridpoints,
which is still insufficient to simulate high-Reynolds-
number flows like geophysical turbulence. As an
illustration of the computer memory required for
DNS, consider the atmospheric planetary boundary
layer (PBL; see Boundary Layers: Neutrally Stratified
Boundary Layer) where the largest turbulent eddies
are on the order of kilometers and the smallest on the
order of millimeters; thus, the entire spectrum of
turbulent motion spans more than six orders of
magnitude. To numerically integrate the Navier–
Stokes equations for this turbulent flowwould require
at least 1018 numerical gridpoints; this is far beyond
today’s computing capacity or that in the foreseeable
future.

When the scale range exceeds that allowed by
computer capability, which is typical in flows of
meteorological interest, only a portion of the scale
range can be explicitly resolved, presumably the larger
eddies or most important scales of the flow; the
remaining scales must be roughly represented or
parameterized in terms of the resolved portion. This
partly resolved simulation is the philosophy behind
large eddy simulation (LES). For PBL turbulence, the
large eddies (LE) contain most of the turbulent kinetic
energy (TKE), and hence are called energy-containing
eddies; they are responsible for most of the turbulent
transport. A simulation that explicitly calculates these
large eddies while approximately representing the
effects of smaller ones is potentially a good surrogate
for the entire flow field. As defined, the accuracy of
LES increases as the grid resolution becomes finer and
finer. LES is a compromise between DNS, in which all
turbulent fluctuations are resolved, and the tradition-
al, Reynolds-averaging approach, in which all fluctu-
ations are parameterized and only ensemble-averaged
statistics are calculated.

The first true LES calculation was performed by Jim
Deardorff atNCAR in the late 1960s using a computer
that allowed for 32�32�32 (32 768) gridpoints.
On today’s computing machines, calculations with
� 106–107 gridpoints are common practice and 108

computations are possible on massively parallel
machines. As computer power increases,we anticipate
a much broader application of LES to more compli-
cated geophysical turbulence problems. LES has been
studied and used intensively also in the engineering

fluid dynamics community, but in this article we
restrict our attention to LES of PBL flows. Most LES
research in the PBL community focuses on applica-
tions of the technique in studying various PBL regimes
including the effects of convection, rotation, rough
surfaces, entrainment, radiation, and/or condensa-
tion; so far only a small fraction of the total effort is
towards the development of improved SGS models or
numerical techniques.

The LES Technique

Governing Equations and Filtering Procedures

The Navier–Stokes equations for an incompressible
fluid

qui
qt

¼ � quiuj
qxj

þXi � 1

r
qp
qxi

þ n
q2ui
qx2j

½1�

form the basis for an LES of the PBL, where ui satisfy
the continuity equation:

qui
qxi

¼ 0 ½2�

In eqns [1] and [2], ui are flow velocities in the three
spatial directions (i.e., i ¼ 1 and 2 for the horizontal
directions and i ¼ 3 for the vertical direction), Xi are
the ith-component of body forces, r is the air density, p
is the pressure fluctuation, n is the kinematic viscosity
of the fluid, t is time, and xi are the spatial coordinates.
For PBL applications, the major body forces are
gravity and Coriolis forces and hence Xi can be
approximated as giy=T0 � f eij3uj, where the gravita-
tional acceleration gi is nonzero only in the x3 (or z)
direction, y is the virtual potential temperature,1 T0 is
the temperature of some reference state, and f is the
Coriolis parameter. This Xi is obtained by expanding
eqn [1] over a reference state of hydrostatic equilib-
rium and also using the Boussinesq approximation
(seeDynamicMeteorology: Primitive Equations). The
numerical integration of eqns [1] and [2] is DNS; for
LES eqns [1] and [2] need to be spatially filtered.

The volume-filtered Navier–Stokes equations are
derived by first decomposing all dependent variables,
e.g., ui, into a volume average, ~uui, and a subgrid-scale
(SGS) (or subfilter) component, u00i , i.e., ui ¼ ~uui þ u00i .
Here the volume-averaged or resolved-scale variable is
defined as

~uuiðxiÞ ¼
ZZZ

volume

uiðx0iÞGðxi � x0iÞ dx0i ½3�

1An additional transport equation is required for y if buoyancy is
considered.
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where G is a three-dimensional (low-pass) filter
function, e.g., Gaussian, top-hat or sharp wave cutoff
filter. A one-dimensional random signal can be used to
illustrate the details of the filtering process. In Figure
1A, the solid curve denotes the total signal (fluctuating
in x). Application of the filter operator in eqn [3] to the
total signal yields a smoother field (indicated by the
dashed curve), which is the so-called filtered field or
resolved-scale motion. The difference between total
and resolved signals (Figure 1B) represents the SGS
fluctuations. The partitioning between resolved and
SGS components depends on the filter; i.e., cutoff scale
and sharpness.

Applying the filtering procedure, term-by-term, to
eqn [1] leads to equations that govern large (resolved-
scale) eddies

q~uui
qt

¼� qg~uui~uuj~uui~uuj
qxj

� qðg~uuiu00j~uuiu00j þ gu00i ~uuju00i ~uuj þ gu00i u00ju00i u
00
j Þ

qxj
þ gi
T0

~yy

� f eij3~uuj � 1

r0

q~pp
qxi

þ n
q2~uui
qx2j

½4�

where the decomposition ui ¼ ~uui þ u00i is used along
with the assumption that the filtering operation is
commutative with differentiation.2 In eqn [4], the first
term on the right-hand side is advection of ~uui by the
resolved-scale motion ~uuj, the second term is the SGS
contribution, and the remaining terms are identical to

their counterparts in eqn [1], except that they depend
on filtered (resolved-scale) fields. The nonlinear re-
solved advective terms embody vortex stretching and
generate an energy cascade, which are crucial dynam-
ics in 3D turbulence. The SGS stress (or flux) tensor is
defined as tij ¼ g~uuiu00j~uuiu00j þ gu00i ~uuju00i ~uuj þ gu00i u00ju00i u

00
j . Alternatively, eqn

[4] can be written as

q~uui
qt

¼� q~uui~uuj
qxj

� qtij
qxj

þ gi
T0

~yy� f eij3~uuj

� 1

r0

q~pp
qxi

þ n
q2~uui
qx2j

½5�

where now tij ¼ guiujuiuj � ~uui~uuj.
Equations [4] or [5] equally describes the evolution

of the LE field; they differ in their forms of the resolved
advection and SGS terms. In eqn [4], the SGS term
consists of two kinds of influences: cross-products of

resolved-SGS components (i.e., g~uuiu00j~uuiu00j þ gu00i ~uuju00i ~uuj) and a
nonlinear product of SGS–SGS components (i.e.,gu00i u00ju00i u

00
j ). The SGS term in eqn [5] includes all of these

influences plus a resolved scale contribution or Leo-
nard term,3 Lij ¼ g~uui~uuj~uui~uuj � ~uui~uuj. Thus in principle differ-
ent SGSmodels should be used in eqns [4] and [5]. In a
spectral-based LES code, which applies filter explicit-
ly, the advection term in eqn [4] can be calculated
directly. A finite-differencing based LES code can only
solve eqn [5]. For geophysical turbulence, the molec-
ular viscosity term is negligibly small compared with
the advection terms in eqn [4] or eqn [5], andhence can
be neglected.

So far in deriving the above LE equations, [4] or
[5], no approximations have been made. Because of
the spatial filtering procedure, the LE equations
contain SGS terms that are unknown and must be
modeled in terms of the resolved fields. Because the
magnitudes of SGS terms depend on the filter, its
modeling in principle should depend on the filter size
and shape.

Subgrid-Scale Parameterization

To solve eqn [4] or eqn [5], the SGS terms need to be
parameterized, which results in some uncertainty in
LES. This uncertainty contaminates the LES solution,
particularly in regions where small eddies dominate,
i.e., near a wall boundary and perhaps in the entrain-
ment zone of the PBL. However, in regions where
energy-containing eddies are well resolved, LES flow
fields have been shown to be rather insensitive to SGS
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Figure 1 A sketch illustrating spatial fluctuations of (A) a total

turbulent field (solid curve) and its filtered field (dashed curve), and

(B) its subgrid-scale field.

2Though this assumption is strictly valid only for unbounded
flows, one can however show that the error introduced is of the same

order as the truncation error of the numerical method.

3Note that the conversion between eqn [4] and eqn [5] can be
obtained using the identity guiujuiuj � ~uui~uuj ¼ ðg~uui~uuj~uui~uuj � ~uui~uujÞ þ g~uuiu00j~uuiu00j
þgu00i ~uuju00i ~uuj þ gu00i u00ju00i u

00
j .
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models. This results from the fact that, in the interior
of PBL, the SGS motions serve mainly as net energy
sinks that drain energy from the resolved motions, a
process that can be modeled adequately with a simple
SGS parameterization.

Most PBL–LESs adopt a similar scheme for the SGS
terms, regardless of whether eqn [4] or eqn [5] is used
or whatever filter function is applied. The Smagorin-
sky–Lilly (S–L) model is the most widely used SGS
closure scheme and relates SGS stresses to resolved-
scale strain tensors by

tij ¼ �2KMSij ½6�

where the strain tensor Sij ¼ ðq~uui=qxj þ q~uuj=qxiÞ=2.
SGS heat fluxes are similarly related to local gradients
in the resolved temperature field by the relation

tyi ¼ �KH
q~yy
qxi

½7�

Without buoyancy effects the SGS eddy viscosity KM

and diffusivity KH are expressed as

KM ¼ ðcSDsÞ2S ½8�

KH ¼ KM

Pr
½9�

where the Smagorinsky constant cS remains to be
determined, Ds is a filtered length scale often taken to
be proportional to the grid size, the magnitude of the
strain tensor, S, is ð2SijSijÞ1=2, and Prð� 1

3Þ is the SGS
Prandtl number.One of themost important features of
the S–L model is that the SGS fluxes are nonlinear
functions of the resolved strain rate, a crucial differ-
ence from the viscous (molecular) stress–strain rela-
tionship.

To include local buoyancy effects, the KM expres-
sion in the original Smagorinsky model is modified to
depend on local Richardson number Ri (the ratio of
buoyancy to shear production terms of TKE
budget),

KM ¼ ðcSDsÞ2S 1� Ri

Ric

� �n

½10�

where Ric is the critical Richardson number often set
between 0.2–0.4, and n ¼ 1

2 is often used. When the
local Richardson number reaches the critical value,
turbulence within that grid cell vanishes and the eddy
viscosity is shut off.

A further extension of the S–L eddy viscosity model
explicitly calculates the SGS–TKE e and relates KM

and KH to e via

KM ¼ cK‘
ffiffiffi
e

p ½11�

and

KH ¼ ½1þ ð2‘=DsÞ�KM ½12�
where cK is a diffusion coefficient to be determined and
‘ is another SGS length scale, which is often taken as
the minimum of two length scales

‘ ¼ min 0:76e1=2
g

y0

q~yy
qz

 !�1=2

; Ds

2
4

3
5 ½13�

Equation [13] assumes a direct effect of local stability
on the local SGS length scale. The SGS TKE e evolves
from the following equation:

qe
qt

¼� q~uuje
qxj

� qðfu00j eu00j eþ gu00j p00u00j p00Þ
qxj

� gu00i u00ju00i u
00
j

q~uui
qxj

þ g

y0
gw00y00w00y00 � e ½14�

The terms on the right-hand side of eqn [14] re-
present, in order, advection of e by the resolved-
scale motion, turbulent and pressure transports,
local shear production (nonlinear scrambling), local
buoyancy production, and molecular dissipa-
tion. In solving eqn [14], gu00i u00ju00i u

00
j and gw00y00w00y00 are app-

roximated by eqns [6] and [7], respectively, the
transport terms by

fu00j eu00j eþ gu00j p00u00j p00 ¼ �2KM
qe
qxj

½15�

and the molecular dissipation rate by

e ¼ cee
3=2

‘
½16�

where ce is a dissipation coefficient.
The SGSmodel parameters cS, cK, and ce are chosen,

in most of the existing PBL–LESs, to be consistent
with Kolmogorov inertial-subrange theory, i.e.,
the constants are derived assuming that the SGS
motions are isotropic with a k�5=3 spectral slope.4

Commonly used values are: cS � 0:18; cK � 0:10, and
ce � 0:19 þ0:74‘=Ds. With these model parameters,
LESs are in away forced – in an ensemble-mean sense –
to drain energy at a rate sufficient to produce a k�5=3

spectral slope near the filter cutoff scale.
The above SGS models are based on ensemble

average concepts but are used inside LES on an
instantaneous basis, i.e., to represent SGS effects at
every gridpoint and time step. Laboratory studies and
DNS provide evidence that small-scale turbulent
motions are anisotropic and intermittent, and that

4In the inertial subrange the equilibrium 3D energy spectrum

varies as fðkÞ � Ck�5=3 where k is the wavenumber.
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locally the energy transfer can either be forwardscatter
(from large to small scales) or backscatter (from small
to large scales), which causes deviations from the
equilibrium k�5=3 law. Eddy viscosity SGSmodels also
assume that SGS stresses and strains are perfectly
aligned (see eqn [6]), and hence the local dissipation
rate e ¼ �tijSij is always positive, thus preventing
backscatter of energy.

These deficiencies of eddy viscosity models have
motivated continued development of new SGS mod-
els, including (1) stochastic models where a random
field is imposed at the SGS level, thus permitting
a backscatter of energy, (2) dynamic models where
the Smagorinsky coefficient is dynamically predicted
using a resolved field filtered at two different scales,
and (3) velocity estimation models that attempt to
model the SGS velocity fluctuations u00i instead of SGS
stresses tij.

The deficiency of S–L SGSmodels is most evident in
the surface layer of the PBL, where the vertical
gradients of the mean fields are known from a large
body of measurements and scaling arguments to
follow Monin–Obukhov (M–O) similarity theory5

(see Boundary Layers: Surface Layer). However, the
M–O vertical distribution of mean velocity and
temperature fields cannot be reproduced by LESs
using standard S–L eddy viscosity prescriptions, par-
ticularly for shear-driven and stable PBLs. One reason
for this shortcoming is that near the surface the SGS
motions dominate the whole flow field. In other
words, very near the surface, PBL–LES is no longer
an LES; almost all of the turbulent eddies are subgrid-
scale. This deficiency has been improved somewhat
using SGSmodels that contain either backscatter or an
explicit contribution from a Reynolds-averaged
model.

Numerical Setup, Methods, and Boundary
Conditions

The choice of LES grid and domain sizes depend on the
physical flow of interest and the computer capability.
LES differs from other meteorological models in that
its grid-scale motion is nearly isotropic, and hence
requires a grid mesh close to isotropic. Most comput-
ers today can fit a code of about 100�100�100
gridpoints. From these gridpoints, an LES domain is
then chosen to resolve several largest (dominant)
turbulent eddies and at the same time resolve
eddies as small as possible into the inertial-subrange
scales. For example, for a convective PBL with 1 km
depth, a 5 km�5 km�2 km domain of LES with 100�

100�100 gridpoints would cover 3 to 5 large domi-
nant eddies in each horizontal direction and at the
same time resolve small eddies down to about
100m�100m�40m in size, assuming model resolu-
tion is twice the grid size. For the stable PBL where
dominant eddies are smaller, a smaller domain (and
consequently a finer grid) is preferred.

Numerical truncation errors and specification
of boundary conditions add uncertainties to all
numerical models including LES. Most PBL–LES
codes use finite difference methods in all three direc-
tions to compute derivatives, although some
LESs employ a spectral (Fourier) representation in
x–y planes taking advantage of the horizontally
homogeneous nature of the PBL. Sharp gradients in
flowvariables can exist at the top of the PBLbecause of
the presence of a strong, stably stratified overlying
layer, which leads to oscillations (dispersion errors)
when finite differencing methods are used. To over-
come this flaw, sign-preserving (monotone) schemes
are frequently used for scalar transport to maintain
physical realizability,6 often at the expense of intro-
ducing more numerical diffusion (see Numerical
Models: Methods).

The surface boundary condition in LES borrows
heavily from a wealth of field observations. Note
that for PBL applications, LES cannot possibly resolve
the viscous layer close to the surface; its lowest
grid level lies in the inertial sublayer (i.e., the surface
layer). Hence, as a surface boundary condition M–O
similarity theory is used to relate surface fluxes to
resolved-scale fields at each grid point just above
the surface. The primary empirical input parameter to
these formulas is the surface roughness. This
roughness length can vary from less than 0.001m for
a smooth sea surface to more than 0.1m for
heavily wooded terrain. This rough-wall boundary
condition is different from the smooth-wall condition
used in engineering flows. Caution should be used,
however, because M–O theory describes ensemble-
mean flux–gradient relationships in the surface layer
(see Boundary Layers: Surface Layer) and may not
apply well at the local LES grid scale. This problem
becomesmore acute when the LES horizontal grid size
is comparable to or smaller than the height of the first
grid level.

The upper boundary of a typical LES domain is
usually set to be well above the PBL top, in order to
avoid influences on simulated PBL flows fromartificial
upper boundary conditions. At the top of the domain,
turbulence is negligible and a no-stress condition is
applicable. Because turbulent motions in the PBLmay

5In a shear-driven PBL where the buoyancy forcing is zero, M–O

theory reduces to the logarithmic law of the wall.

6Physical realizability implies that the concentration of a scalar

can never be lower than the background concentration.
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excite gravity waves in the stably stratified inversion
layer, a means of handling gravity waves is often
applied. Typically, a radiation condition,which allows
for an upward escape of gravity waves, or a wave-
absorbing sponge layer is used at the top of the
simulation domain.

For the lateral boundary conditions, almost all PBL
LESs today use periodic boundary conditions.7

Periodic boundary conditions are appropriate
for PBLs with homogeneous terrain but also are a
computational convenience in that no explicit state-
ment of the sidewall boundary (turbulence) conditions
needs to be imposed. The use of periodic boundary
conditions, however, prevents us from simulating
realistic meteorological flows with inhomogeneous
surface.

LES Flow Fields

The solution of eqn [4] or eqn [5] consists of
three-dimensional, time-evolving flow fields of large
turbulent eddies. An example of such a flow field
is shown in Figure 2, where a vertical cross-section of
an LES calculation of a free convective PBL
using 96�96�96 gridpoints is presented. The figure
shows that updrafts, which are associated with
warm thermals, are more intense and occupy a
narrower area than downdrafts. This is known as a

positively skewed vertical velocity field, a unique
feature of convectively driven turbulent flows.
The vertical velocity and temperature fields are corre-
lated strongly in the lower half of the PBL, which
results in a large positive heat flux there. Strong
updrafts penetrate into the capping inversion, which
can engulf wisps of warm inversion air into the PBL.
These wisps of air may subsequently be entrained and
mixed into the PBL. This penetration-lead-to-entrain-
ment phenomenon has also been documented with
radar and sodar observations and convection tank
experiments (see Boundary Layers: Convective
Boundary Layer).

Plan views of both temperature and vertical velocity
fields given in Figure 3 reveal spokelike, irregular
polygonal structures near the surface, similar to those
observed inRayleigh–Bénard convection experiments.
This spokelike feature is most evident in the free
convective PBL, i.e., with a zero mean wind. Intersec-
tions between these near-surface polygons are local
horizontal convergence regions and hence are sites to
form strong updrafts which can penetrate into the
capping inversion. These coherent updrafts or
thermals, which are also well documented by obser-
vations, are believed to be responsible for significant
turbulent transport in the PBL.

For shear-driven PBLs, LES reveals elongated high–
low-speed streaks along the mean shear direction in
the surface layer (Figure 4), similar to those found in
the wind tunnel and also observed in the near neutral
PBL.
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Figure 2 Contour plots of vertical velocity (top) and temperature (bottom) fluctuations in a vertical cross-section from an LES of the free

convective PBL: w contours ð�2:5;�2;�1:5;�1;�0:6;0:6;1;1:5;2;2:5Þ, dark (light) shading values larger (smaller) than 0.6 ð�0:6Þ; y0
contours ð�1;�0:7;�0:5;�0:35;�0:08;0:08; 0:35;0:5;0:7;1:0Þ, dark (light) shading values larger (smaller) than 0.08 ð�0:08Þ.

7Periodicity implies that the inflowat each gridpoint on a sidewall

is equal to the outflow on opposite sidewall.
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Statistics Derived from LES Flows

Moment statistics can be calculated readily from 3D
LES data volumes by correlating the fluctuations
among variables. Then the vertical profiles or distri-
butions of these statistics can be systematically doc-
umented for various PBL regimes generated under
different large-scale forcings. For example, the TKE
budgets calculated from LESs show the expected
differences between the shear- and buoyancy-driven
PBLs (Figure 5). In a shear-driven PBL, shear produc-
tion nearly balancesmolecular dissipation,with all the
other terms remaining small, while in the convective
PBL the TKE budget is dominated not only by the
buoyancy production and molecular dissipation but
also by the turbulent and pressure transports.

A significant contribution from LES is the ability to
obtain the pressure statistics. Pressure fluctuations are
difficult, if not impossible, to measure in the field, yet
they play an important role in determining moment
statistics, such as pressure transport in the TKEbudget
and the return-to-isotropy behavior for velocity var-
iances. The LES-generated pressure field, which re-
mains to be verified from observation when available,
provides a unique tool to estimate important pressure-
related statistics.

One should be cautious about using statistics
constructed from LES flows, however. Some statistics,
especially highermoments,may be sensitive to the LES
grid resolution, domain size, and SGS models. A
necessary but not sufficient rule of thumb is to rely only
on the statistics that are insensitive to the LES grid
resolution or SGS modeling.

Applications to PBL Research

Early Work

LES has become a prominent research tool in advanc-
ing our understanding of the structure and physics of
PBL turbulence. Before Deardorff’s LES calculations
in the early 1970s, the scaling parameters for the PBL
statistics above the surface layer were the friction
velocity un and the length scale un=f , where f is the
Coriolis parameter. From LES calculations, Deardorff
discovered that the convective PBL turbulence can be
better described using the convective velocity scale

wn � ½ðg=T0Þziwy0�1=3 and the PBL depth zi, where
wy0 is the surface buoyancy flux.8 This new descrip-
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Figure 3 Contour plots of vertical velocity (top) and temperature (bottom) fluctuations in two horizonal cross-sections (left: near the

surface; right: near thePBL top) froman LESof the free convectivePBL:w contours are ð�0:5; 0:5Þwhile y0 contours are ð�0:12; 0:12Þ for
z=zi ¼ 0:16 and ð�0:08;0:08Þ for z=zi ¼ 0:84.

8Here overbars ð�Þ denote an ensemble average formed by spatial

and temporal averages in LES.
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tion, now known as mixed-layer scaling, makes it
possible to collapse data collected from convective
PBLs with different surface heating conditions onto
universal profiles. For example, measurements of the
scaled vertical flux of TKE ðwE=w3

n
Þ and the scaled

vertical-velocity variance ðw2=w2
n
Þ, obtained by air-

craft for different surface heat fluxes, collapse to
universal profiles when shown as functions of the
dimensionless height z=zi (Figure 6) (see Boundary
Layers: Convective Boundary Layer).

LES has also provided a revolutionary discovery
about plume dispersion in the convective PBL. The
release of a tracer from an elevated source within an
LES generated convective PBL shows that the maxi-
mum mean concentration in the plume first descends
until the plume intercepts the ground, then rises
(Figure 7). The descent of the elevated plume maxi-
mum is due to the greater areal coverage of down-
drafts, i.e., the positively skewed vertical velocity field.
This finding, also observed at about the same time in
the Willis and Deardorff tank experiments, has an
important application to air pollution; i.e., it can be
used to predict the location and magnitude of the
maximum surface concentration of emissions. The
above results provided the basis for the revision of
short-range dispersion models in the 1980s (see
Turbulent Diffusion).

Another breakthrough from LES is the discovery
of the asymmetry of turbulent diffusion from
area sources at the surface and top of the convective
PBL. Any passive, conservative scalar can be linearly
decomposed into two conceptual scalar fields:
top-down (which is emitted at the PBL top and has
zero flux at the surface) and bottom-up (which
is emitted at the surface and has zero flux at the PBL
top). Under a quasi-steady state, the fluxes of the top-
down and bottom-up scalars are both linear in height
and hence, after normalization by their respective
boundary flux, are symmetric about themid-PBL. LES
shows that the mean gradients of the top-down and
bottom-up concentrations, after normalization bywn,
zi, and the appropriate boundary flux, are not
symmetric about the mid-PBL. While the top-down
gradient function remains positive throughout the
whole PBL, the bottom-upmean gradient is positive in
the lower half of the PBL but becomes negative in the
upper part. The negative gradient in bottom-up scalar
indicates the countergradient transport feature, where
flux and mean concentration gradient have the same
sign. This asymmetric feature of the gradient functions
results in different top-down and bottom-up eddy
diffusivities, where the latter becomes ill-defined in the
mid-PBL. Thus, in the convective PBL, a scalar emitted
from the surface diffuses differently from one emitted
from the top.
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Figure 4 Contour plots of fluctuations of streamwise velocity u

(top), vertical velocity w (middle), and local flux uw (bottom) in a

horizontal plane near the surface from an LES of the shear-driven

PBL: u contours ð�2;�1:6;�1:2;�0:8;�0:4;�0:2;�0:1; 0:1;

0:2; 0:4;0:8;1:2Þ, dark (light) shading values larger (smaller) than

0.2 ð�0:2Þ; w contours ð�1:2;�0:9;�0:6;�0:3;�0:1;0:1; 0:3;

0:6; 0:9;1:2Þ, dark (light) shading values larger (smaller) than 0.3

ð�0:3Þ; uw contours ð�3;�2:5;�2;�1:5;�1;�0:5;�0:1;

0:1; 0:5;1; 1:5Þ, dark (light) shading values larger (smaller) than

0.5 ð�0:5Þ. (Reproduced with permission from Moeng CH and

Sullivan PP (1994) A comparison of shear- and buoyancy-driven

planetary boundary layer flows. Journal of the Atmospheric

Sciences 51: 999–1022.)
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Current Research

Earlier LES work focused mainly on idealized cloud-
free, flat-terrain convective PBL. That flow regime is
most suited to LES because of the presence of large
thermal plumes and no other physical processes (e.g.,
radiation and latent heating) involved. Recently,
however, LES has been intensively used for more
complicated and difficult PBL regimes because of the
community need to better understand other PBL

regimes that play important roles in weather or
climate.

One climatologically important PBL regime is the
stratocumulus-topped PBL (STBL) where the cloud
amount can significantly alter the solar radiation input
to the Earth’s surface. To simulate this PBL regime,
we include parameterizations of latent heating and
radiation processes, which unfortunately introduce
more uncertainties into the LES. The focus has been
studying entrainment processes and estimating the
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entrainment rate of the STBL, which remains one of
the most difficult problems in PBL turbulence.

LES has also been applied to many other compli-
cated geophysical turbulence problems. They include:
the oceanic mixed layer, which is driven by wind
stress with strong effects from surface gravity
waves (see Boundary Layers: Ocean Mixed Layer);
turbulence within vegetative canopies, which has
numerous small-scale influences due to leaves (see
Land–Atmosphere Interactions: Canopy Processes);
PBLs with inhomogeneous land surfaces, which can
induce local circulations that interact with PBL
turbulence (see Land–Atmosphere Interactions:Over-
view); PBLs with shallow cumulus clouds; and chem-
istry transport and reaction within the PBL, with or
without clouds.

The most practical application of LES to the
meteorological community so far is the development
or calibration of PBL parameterizations (i.e., PBL
models; see Boundary Layers: Modeling and Param-
eterization) for use in meteorological forecast models.
Various PBL parameterizations have been proposed,
but few of them have been evaluated or verified
because field observations are often incomplete for this
application. As an alternative, LES results have been
used to examine, for example, closure assumptions of
the terms in the TKE budget; the mass flux and lateral
entrainment/detrainment closures formass fluxmode-
ling; entrainment-rate closure assumptions in mixed-
layer modeling; and the countergradient effect in eddy
diffusivity models.

Future Challenges

In reality, the PBL is much more complicated than
what is currently simulated by LES. Much of the

complication arises from the heterogeneous nature
(nonuniformity) of the underlying surface. The Earth’s
land surface is characterized by spatially varying
patches, undulating terrain, and urban development,
which can induce circulations that interact with, and
hence change, the usual turbulence dynamics in the
PBL. Over the ocean, surface currents move at
different speeds and waves break, leading to complex
air–sea interactions. These complex surface couplings
can significantly influence turbulent transport inmany
meteorological applications, e.g., air pollution, vege-
tation growth, and cloud formation.

The next generation LES for PBL applications faces
the challenge of including more realistic surface
conditions for more realistic PBL simulations. For
these PBLs, current LESs need not only improved SGS
models but also better prescriptions for surface and
lateral boundary conditions. Periodic lateral bound-
ary conditions, although convenient computationally,
are clearly not applicable for many applications: PBLs
near coasts and with sloping terrain are good exam-
ples. Complex surface conditions in particular affect
turbulence dynamics of the very stable PBL, where
turbulence is no longer continuous but becomes
intermittent in space and time, and the ability to
simulate local transition to turbulence becomes cru-
cial. There are also attempts to use LES for studying
interactions between cloud microphysics, biochemis-
try, and aerosols in the cloudy PBL, which are key
players in the climate change process. These applica-
tions require a thorough reexamination of small-scale
effects in LES.

Field observations can provide a good database for
examining small-scale effects in PBL–LES. Traditional
measurements of turbulence have focused on ensemble
averages deduced from time series of a single sensor.To
measure resolved and SGS eddies separately requires
spatial filtering in at least two dimensions. There are
attempts to measure SGS motions using an array of
multiple sonic anemometers in the field. These new
measurements provide insights into the relationship
between resolved and SGS fields and thus can be used
to improve SGSmodels for LES of the PBL turbulence.

Nomenclature

cK SGS diffusion coefficient
cS Smagorinsky constant
ce SGS dissipation coefficient
e SGS turbulent kinetic energy ðm2 s�2Þ
f Coriolis parameter ðs�1Þ
g gravitational acceleration ðms�2Þ
G filter function
h PBL depth (m)
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concentration as a function of dimensionless height and downwind

distance from an elevated source in a convective PBL as predicted

from LES. Here h is the PBL depth, U the mean wind, and x

downwind distance from the source. (Adapted with permission

from Lamb RG (1982) Diffusion in the convective boundary layer.

In: Nieuwstadt FTMand vanDopH (eds.)Atmospheric Turbulence

and Air Pollution Modeling, pp. 159–229. Dordrecht: Reidel.)
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k wave number
KH SGS eddy diffusivity ðm2 s�1Þ
KM SGS eddy viscosity ðm2 s�1Þ
‘ SGS length scale (m)
p total pressure fluctuations (hPa)
~pp filtered pressure fluctuations (hPa)
p00 SGS pressure fluctuations (hPa)
Pr SGS Prandtl number
Ri Richardson number
Ric critical Richardson number
S magnitude of strain tensor ðs�1Þ
Sij strain tensor ðs�1Þ
t time (s)
T0 reference temperature (K)
U mean wind speed ðms�1Þ
ui flow velocities in xi direction ðms�1Þ
~uui filtered flow velocities in xi direction ðms�1Þ
u00i SGS flow velocity fields in xi direction ðms�1Þ
un friction velocity ðms�1Þ
wn convective velocity scale ðms�1Þ
wE ensemble-mean turbulent flux of TKE

ðm3 s�3Þ
w2 ensemble-mean vertical velocity variance

ðm2 s�2Þ
wy0 ensemble-mean surface buoyancy flux

ðKms�1Þ
xi spatial directions for horizontal ði ¼ 1; 2Þ and

vertical ði ¼ 3Þ (m)
Xi body forces in xi direction ðms�2Þ
z height ð� x3Þ (m)
zi PBL height (m)
Ds SGS length scale (m)
e molecular dissipation rate ðm2 s�3Þ
y virtual potential temperature (K)
~yy filtered virtual potential temperature (K)
y00 SGS virtual potential temperature (K)
n molecular viscosity of air ðm2 s�1Þ
r density of air ðkgm�3Þ

tij SGS stress tensor ðm2 s�2Þ
tyi SGS heat flux in xi direction ðKms�1Þ
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Introduction

Flow of the atmosphere past a high mountain barrier
often results in a low-level wake of reversed flow
immediately downstream of the obstacle. Viewed

from above, such a wake is manifest as a pair of
counterrotating vortices circulating about vertical
axes. Observations suggest that this pattern of coun-
terrotating lee vortices can sometimes persist over a
time scale of days. Flowpast the island ofHawaii often
provides examples of such quasi-steady recirculating
wakes (Figure 1A). In other cases the counterrotating
wake pattern is unstable and a transition occurs to a
state in which vortices of alternating sign are period-
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ically shed downstream to form a vortex street. The
imprint of vortex streets in cloud layers downstreamof
mountainous islands is occasionally captured in sat-
ellite images. A particularly striking example is shown
in Figure 1B.

Observational studies suggest that wakes and vor-
tices are a common feature of atmospheric flow in
mountainous regions. Lee vortices that form in the
vicinity of cities tend to recirculate pollutants and thus
have important consequences for local air quality.
Examples include the Melbourne Eddy (near Mel-
bourne, Australia), the Santa Barbara Eddy (near
Santa Barbara, CA, USA), and the Denver Cyclone
(near Denver, CO, USA). In some cases orographic
vortices are linked with the initiation and intensifica-
tion of severe weather. A well-studied example is the
Denver Cyclone, which is often associated with the
development of severe storms producing hail, flood-
ing, and tornados. Studies of flowpast theAlps suggest
that low-level mountain wakes may also interact with
upper-level troughs to produce larger, synoptic-scale
lee cyclones.

Lee vortices generally develop on time scales that
are short compared to a day and have length scales on
the order of 10–100 km. As a result, the rotation of the
Earth has only a secondary effect on the motion.Most
theoretical studies of mountain wakes have neglected
the Coriolis force (i.e., they have considered nonro-
tating flow) and we focus on such studies in the
following sections. There is some evidence to suggest
that on longer time scales and larger spatial scales the
influence of the Earth’s rotation tends to suppress the

formation lee vortices; but in general the effect of
planetary rotation on lee-vortex formation is a topic in
need of further study.

Stratified Flow Past Topography:
Basic Phenomenology

Overview

Here we briefly review the basic phenomenology of
nonrotating stratified flow past an isolated ridge in
three dimensions (3D) as revealed by theoretical and
numerical investigations and laboratory experiments.
Most idealized studies of 3Dflowover orography have
assumed a uniform upstream flow speed U and
constant upstream buoyancy frequency (or Brunt–
Väisälä frequency) N, and we make the same restric-
tions here. Such a model gives a rough first approx-
imation to many atmospheric flows but excludes
phenomena that depend on vertical variations in N
and U such as trapped lee waves (or so-called ship
waves). We suppose that the ridge shape may be
characterized by a streamwise length scale a, a cross-
stream length scale b, and a maximum height h. The
nondimensional control parameters governing the
behavior of the flow for constant N and U are then:
(a) the nondimensional mountain height e ¼ Nh=U,
which measures the amplitude of the disturbance; (b)
the vertical aspect ratio d ¼ U=Na, which measures
the importance of nonhydrostatic effects; and (c) the
horizontal aspect ratio b ¼ b=a. For most atmos-
pheric flows of interest the vertical aspect ratio d is

(A) (B)

Figure 1 (A) Aerial photograph of cloud layer in flow past the island of Hawaii. The cores of lee vortices feature warmer air than the

surrounding flow and are typically manifest in aerial and satellite photographs as holes in the cloud layer. The two lobes of clear air

extending downstream of the island in (A) are the signature of a pair of counterrotating vortices. Arrows suggest the flow field as inferred

from the cloud pattern (Photo courtesy of VandaGrubišić). (B) Vortex street downstream of Alejandro Selkirk Island off the coast of Chile

as seen by the Landsat 7 Satellite. The island is in the bottom left part of the figure.
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small (less than 0.1), so that the flow is essentially
hydrostatic; the set of control parameters then reduces
to e and b.

Laboratory, numerical, and theoretical studies sug-
gest roughly four classes of phenomena of importance
in hydrostatic flow over topography with uniform
upstream N and U: (i) small-amplitude waves; (ii)
wave breaking; (iii) upstream stagnation and flow-
splitting; and (iv) lee vortices. The schematic regime
diagram in Figure 2 summarizes the occurrence of
these phenomena as a function of e and b. Detailed
descriptions of the flow classes are as follows.

Small-amplitude waves When e � 1 the mountain-
induced disturbance for all b takes the form of a small-
amplitude mountain wave (see Lee Waves andMoun-
tain Waves for examples of small-amplitude waves).
The flow in this regime is well described by theoretical
approaches valid in the limit of small e. As e increases,
the streamlines in the wave pattern above the lee slope
steepen somewhat in the vertical as a result of
nonlinear (or finite-amplitude) effects.

Wave breaking For b\1 (i.e., for elongated ridges),
streamlines above the lee slope overturn when e
exceeds a critical value ebðbÞ, usually in the range
0.7–1.2 depending on obstacle shape. Overturning of
the streamlines placesmore-dense fluid over less-dense
fluid, causing the wave to break and become locally
turbulent. An example of overturning streamlines and
wave breaking in a laboratory flow with e ¼ 2:5 and
b ¼ 3 is shown in Figure 3A. Wave breaking produces
a well-mixed region above the lee slope that tends to
decouple the low-level lee-slope flow from the flow
farther aloft. The resulting low-level flow is strongly
accelerated and is similar to supercritical shallow-

water (or single-layer hydraulic) flow (see Downslope
Winds for a discussion of shallow-water flow over a
ridge; see Hydraulic Flow for a basic discussion of
shallow-water dynamics). Downstream of the obsta-
cle the depressed lee-slope streamlines abruptly return
to their upstream heights in a structure resembling a
shallow-water hydraulic jump (Figure 3A).

4

3

2

1

0
0 1 2 3 4 5 6

�

�

Small-amplitude waves

Wave breaking

Wave breaking,
Flow splitting,
Lee vortices

Flow splitting,
Lee vortices

LV

Figure 2 Schematic regime diagram for stratified flow past an

isolated ridge as a function of e and b. Note that the actual shapes

and positions of the curves will depend on the obstacle shape.

(A)

(B)

(C)

Figure 3 (A) Dye lines in the centerline plane for flow over a 3D

ridge with e ¼ 2:5 and b ¼ 3. The streamline above the lee slope

has steepened to the point of overturning, causing the wave to

break and the flow to become turbulent. (From Castro IP and

SnyderWH (1993) Experiments onwave-breaking in stratified flow

over obstacles. Journal of FluidMechanics255: 195–211.) (B) Dye

lines in the centerline plane and on the obstacle surface for flow

over a ridge with e ¼ 2:5 and b ¼ 2. The basic flow is from left to

right. Flow splitting is apparent on the windward slope below the

secondheight contour. Also apparent is awake in the leewith a hint

of possible reversed flow along the centerline. (From Baines PG

(1995) Topographic Effects in Stratified Flows. Cambridge: Cam-

bridgeUniversity Press.) (C) Surface streamlines from a numerical

computation using an obstacle identical to that shown in (B). Note

that the dye lines in (B) are suggestive of the streamlines in (C).

(Figures 3A and 3B reprinted with the permission of Cambridge

University Press.)
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Flow splitting For all b, there exists a critical
mountain height esðbÞ at which the flow stagnates on
the upstream face of the ridge. This flow stagnation is
due to the positive upstream pressure anomaly
associated with the disturbance and occurs at a finite
height zs on the upstream face. Below zs the flow splits
and passes primarily around the obstacle rather than
over, while above zs the flow ascends the crest as for
eoes. Figure 3B illustrates upstream stagnation and
flow splitting in a laboratory flow with e ¼ 2:5 and
b ¼ 2; Figure 3C shows surface streamlines from a
numerical computation with the same e and b.
Upstream splitting reduces vertical displacements in
the flow and thus tends to suppresswave breaking. For
bt1, upstream stagnation occurs at smaller e than
wave breaking and the latter is suppressed for all e. By
contrast, for elongated ridges eboes and the pheno-
mena are observed to coexist over some range in e
(cf. Figure 2).

Lee vortices A counterrotating pair of eddies
appears in the lee of the obstacle when e exceeds
a value eeðbÞ (Figures 3B, C). In laboratory
studies extensive lee vortices are typically observed
only when upstream stagnation is also present, as in
Figure 3B. However, numerical simulations indicate
that for bo1 vortices form at mountain heights
smaller than es, suggesting that vortex formation is
essentially independent of flow splitting. In any case, it
seems to be true that for most obstacle shapes ee �
ðbÞ � esðbÞ for b >1 and the two curves are taken to be
coincident over this range of b in Figure 2. Counter-
rotating vortex pairswithweak flow reversal are likely
to be stable and quasi-steady. Vortex pairs with
extensive regions of vigorous reversed flow are
expected to be unstable and transition to a vortex-
shedding state.

Boundary Layers and Free-Slip Models

Fluid flowing past a stationary solid topographic
obstacle is constrained to bemotionless at the obstacle
surface owing to frictional coupling between the fluid
and the solid boundary. The character of the flow
immediately above the boundary depends on the
influence of viscous effects, as measured by the
Reynold’s numberRe ¼ Ua=n,where n is the kinematic
viscosity. In laboratory models of atmospheric flows,
Re is usually quite large (4103). The flow immediately
above the obstacle surface then takes the formof a thin
boundary layer over which the flow speed increases
from zero at the surface to roughly the free-stream
speed U away from the surface (Figure 4A). The
boundary layer in the atmosphere is generally more

complex than in laboratory experiments, but the basic
premise of a thin shear zone still applies. For our
purposes we might define the thickness of the bound-
ary layer to be the depth over which shear effects
dominate the effects of stratification. In the stably
stratified atmosphere this depth is typically several
tens of meters.

Above the boundary layer the flow speed varies
relatively little with height and viscous effects are
negligible. In principle, the flow in this region could be
determined by displacing the effective obstacle surface
upward to a flow surface (or material surface) at the
top of the boundary layer and assuming that the fluid
passes freely over this surface with no frictional
coupling. If the boundary layer is thin and remains
everywhere attached to the obstacle, a reasonable
approximation is to neglect the boundary layer
altogether and consider the obstacle surface to be
frictionless. This approximation is referred to as a free-
slip condition.

Whenatmospheric vortex streetswere first observed
in satellite imagery in the early 1960s, it was com-
monly assumed that the vorticity of the wake derives
from the shear in the boundary layer. The process by
which the vorticity of the boundary layer enters the
interior of the flow is well established (if not com-
pletely understood) for high-Re homogenous flows. If
the boundary layer fluid traversing the obstacle surface
at some point encounters an adverse pressure gradient,
the boundary layer tends to separate from the obstacle
and shed its vorticity into the fluid interior (Figure 4B).
Boundary-layer separation is responsible for the
production of wakes in most flows of interest in
engineering applications (flow past airplanes, cars,
etc.).

Laboratory studies refined this view by demonstrat-
ing that in stratified flow over topography-boundary
layer separation is strongly influenced by the stratified
wave dynamics above the boundary layer. In
particular, it was found that the mountain-wave
pattern of depressed streamlines and accelerated
flow above the lee slope tends to suppress lee-slope

(A) (B)

or

z y

x x

Figure 4 (A) Schematic close-up of the boundary layer at the

surface of a solid obstacle. (B) Separation of the boundary layer.
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boundary-layer separation. For obstacles of gentle
slope (h=a ¼ edt0:2), as is typical in the atmospheric
context, boundary-layer separation does not occur at
all for small-amplitude hydrostatic waves (unless lee
waves are present owing to reflection from the tank
top). However, separation may occur in connection
with hydraulic jumps (as in Figure 3A) or similar
structures when wave steepening and breaking are
present. Flow splitting is also believed to promote
boundary-layer separation. In this case the fluid below
the stagnation height zs passes nearly horizontally
around the obstacle and separates from the boun-
dary in essentially two-dimensional fashion (i.e. as in
flow past a vertically oriented cylinder). This separa-
tion of the boundary layer in nearly horizontal
planes has often been invoked to explain the observed
eddies circulating about vertical axes in stra-
tified wakes.

By the late 1980s computing power had increased to
the extent that numerical computations of 3D flow
over topography were relatively common. Research-
ers soon discovered that numerical models with free-
slip boundary conditions reproduce the observed
features of topographic wakes in stratified laboratory
experiments with surprising accuracy, at least for
small d and moderate e (say, et10). As discussed
above, free-slip models completely neglect the bound-
ary layer, so that the numerically simulated lee vortices
are clearly not due to boundary-layer separation.
Similarly, researchers modeling observed atmospheric
wakes have found that reducing or neglecting surface
friction often results in intensification of the vortices.
On the basis of these results it is reasonable to suppose
that for hydrostatic flow at moderate e, the formation
of lee wakes and vortices is not intrinsically dependent
on boundary-layer separation. The vorticity of the
wake is instead generated in the interior of the fluid
through either buoyancy gradients (i.e., baroclinicity)
or turbulent stresses.

Most of the theoretical work on topographic
wakes in the past decade has focused on wakes in
free-slip flows. The following sections review some of
the basic results of this effort. However, it should be
kept in mind that for d\1 or e\10 boundary-layer
separation may in fact dominate the behavior of the
wake.

Shallow-Water Theory

As discussed in the overview above, analogues to
supercritical shallow-water flow and hydraulic jumps
may occur in stratified flows with uniform N and U
when the obstacle is sufficiently high to force over-
turning waves. Similarities to hydraulic flow also

occur without breaking waves when the upstream
conditions include a strong low-level inversion (or
layer of large N), as is often the case in Trade Wind
flow. To a first approximation the inversion acts as a
free surface when large-amplitude waves are present.
Indeed, observations of lee wakes in Trade Wind flow
past the island of Hawaii are suggestive of hydraulic-
type behavior including weak hydraulic jumps. Con-
siderations such as these have led to attempts tomodel
lee vortex formation in terms of shallow-water theory.
Note that the shallow-water results described here
have close analogues for stratified flow as discussed in
the following section.

We consider flowof a thin layer of homogenous fluid
past a submerged obstacle of gentle slope. Such a flow
is well described by the shallow-water equations (see
Hydraulic Flow for details) (eqns [1] and [2]).

qu
qt

þ ðu .=Þu ¼ �g=Z ½1�

qZ
qt

þ = . ðuðd þ ZÞÞ ¼ 0 ½2�

Here dðx; yÞ is the resting depth of the fluid, Zðx; yÞ is
the displacement of the free surface from the rest
position, u ¼ ðuðx; yÞ; vðx; yÞÞ is the horizontal flow
field, and= ¼ ðq=qx; q=qyÞ. The geometry of the fluid
layer is indicated in Figure 5. From eqns [1] and [2] are
derived the useful relations [3] and [4], where B ¼
u . u=2þ gZ is the Bernoulli function and z is the
vertical vorticity (eqn [5]).

q
qt

þ u . =

� �
B ¼ �g

qZ
qt

½3�

q
qt

þ u . =

� �
z

d þ Z
¼ 0 ½4�

At steady state both B and z=ðd þ ZÞ are unchanged
following the flow. The vorticity eqn [4] is often

d

�

Figure 5 Side view of shallow-water flow through a hydraulic

jump. In the limit of ideal flow the width of the jump shrinks to zero,

resulting in a discontinuity. This is indicated by the dotted vertical

line in the figure.
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usefully considered in the equivalent conservation form
with J ¼ uz denoting the flux of vorticity (eqn [5]).

qz
qt

þ = . J ¼ 0 ½5�

From eqn [1] it is straightforward to show eqn [6],
where k̂k is the vertical unit vector.

J ¼ uz ¼ k̂k3 =Bþ qu
qt

� �
½6�

The Bernoulli function thus serves as the effective
streamfunction for the vorticity flux at steady state.

Let the upstream flow be given by constant speedU
anddepthD and let themaximumobstacle height beh.
The nondimensional control parameters for the flow
are then the upstreamFroude number F0 ¼ U=ðgDÞ1=2
and the nondimensional mountain height M ¼ h=D.
Numerical calculations suggest that vigorous wakes
with recirculating vortices are possible only when the
upstreamflow is subcritical (i.e.,F0o1) andwe restrict
attention to this case. For simplicitywe assume that the
flow has adjusted to be steady everywhere except
possibly far downstream of the obstacle.

Both theory and numerical computations show that
for obstacle heights M less than a critical value Mc

(depending on F0) the flow remains subcritical and
continuous everywhere. In this case eqn [4] shows that
the vorticity is everywhere zero (since it is zeroupstream)
and no wake forms. However, whenM exceedsMc the
flow becomes supercritical at the crest and over the
lee slope of the obstacle and continuous solutions no
longer exist. A hydraulic jump then forms in the lee
as shown in Figure 5. As discussed below, the formation
of a hydraulic jump in general implies vertical vorticity
production and consequent wake development.

A shallow-water hydraulic jump is essentially a
thin transition zone between two regions of
fluid where eqns [1] and [2] apply. In the jump
zone the dynamics differs from that described by eqns
[1] and [2] and some sort of dissipation occurs. Note
that details of the flow in the jump need not be
specified. All that is required to determine the flow
outside the jump is that mass and momentum be
conserved and energy dissipated in the jump. Since
eqns [1] and [2] do not hold in the jump, the material
relations [3] and [4] are violated in the jump aswell. In
particular, the presence of dissipation produces a
decrease in the Bernoulli function for particles cross-
ing the jump. This results in a wake of fluid with
decreased Bernoulli function extending downstream
of the jump, as shown in Figure 6. For a steady jump of
finite length, such a wake entails gradients of the
Bernoulli function which, according to eqn [6], are
necessarily associatedwith nonzero advective fluxes of

z. The sense of the vorticity advection implies z > 0 on
the right side of the flow (facing downstream) and zo0
on the left.

Note that the conservation equation [5] can in fact
be generalized to hold for arbitrary (i.e., dissipative
and nonhydrostatic) flow conditions. It is then con-
sistent to suppose that in addition to conserving mass
and momentum the flow in the hydraulic jump also
conserves z (in the sense given by eqn [5]). It can be
shown that for steady flow the conservation of z
implies a flux of vorticity in the jump directed tangent
to the jump with the net flux given by the local
Bernoulli difference =B across the jump. This flux is
denoted by the open arrow in Figure 6. Since=B varies
along the jump there is in general nonzero divergence
(or convergence) of the vorticity flux in the jump. This
divergence/convergence is exactly balanced by the
local advective flux of z into/away from the jump as
given by eqn [6].

We thus find that in a hydraulic jumpof finite extent,
vertical vorticity is produced and then advected away
downstream. If the vorticity production is sufficiently
strong, the resulting wake will feature reversed flow
along the centerline and an associated pair of recircu-
lating lee vortices. An example of such a flow is shown
in Figures 7A, B.

The structure of the wake is modified somewhat
when the height of the obstacle is sufficient to
penetrate the fluid surface. Instead of a single hydrau-
lic jump in the lee of the mountain, a pair of jumps
form, one on each side of the obstacle. Figures 7C, D
give an example of this case. The detailed time

Hydraulic jump
B =B∞

B =B∞

B =B∞

B <B∞

Figure 6 Schematic illustration of vorticity production in steady

flow past a hydraulic jump. The heavy line over the lee slope

indicates the position of the jump. Solid lines are streamlines and

shading represents regions of reduced Bernoulli function, with

darker shading indicating greater reduction. (Here B1 is the value

of the Bernoulli function upstream.) Heavy solid arrows show the

advective vorticity flux uz as inferred from the Bernoulli gradient

using eqn [6]. The open arrow indicates the flux of z in the jump.

(Reproduced with permission of the American Meteorological

Society, from Schär C and Smith RB (1993) Shallow-water flow

past isolated topography. Part I: Vorticity production and wake

formation. Journal of the Atmospheric Sciences 50: 1373–1400.)
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evolution leading to the steady state shown in Figures
7C, D is somewhat complex and beyond the scope of
the present discussion. However, at steady state at
least, the basic principles of Bernoulli reduction and
vorticity generation in the jumps still apply.

Shallow-water theory allows some basic insight into
the nonlinear dynamics of orographic flows when
hydraulic-like conditions are present. Such flows are
commonlyobserved to formlee vortices.Thedrawback
of this approach is that the processes responsible for
wake formation occur in hydraulic jump regionswhere
the details of the flow are not specified. In particular,
shallow-water theory does not explicitly address the
dynamics of vorticity generation in the wake. A deeper
understanding of wake formation then necessitates the
consideration of more complete models.

Stratified Theory

The dynamics of stratified fluids is significantly more
complex than that of a shallow layer of homogenous
fluid. Nonetheless, an analysis similar in spirit to that

of the previous section can be based on analogues
of eqns [5] and [6] for stratified flow. The strati-
fied generalization of the conservation equation [5]
takes the form [7], where Q ¼ f .=y is the potential
vorticity.1

qQ
qt

þ = . J ¼ 0 ½7�

Here f is the three-dimensional vorticity vector and y is
the potential temperature. The potential vorticity flux
J may be divided into an advective part uQ and a
dissipative part JD the latter resulting from viscous and
diabatic effects. It can then be shown that the stratified
version of eqn [6] is eqn [8], which is clearly analogous
to eqn [6] at steady state.

J ¼ uQþ JD ¼ =y3 =Bþ qu
qt

� �
� f

qy
qt

½8�

Wind v Vorticity

Wind v Vorticity

(A) (B)

(D)(C)

Figure 7 Lee vortices in steady shallow-water flow past an isolated obstacle. (A) Streamlines and (B) nondimensional vorticity

az=ðgDÞ1=2 (contour interval 0.3 with negative contours dashed and zero contour suppressed) forM ¼ 0:8 and F0 ¼ 0:5. (C) and (D) as in

(A) and (B) but for the caseM ¼ 2 andF0 ¼ 0:5 in which the obstacle protrudes through the fluid surface. Heavy lines in all panels indicate

the positions of hydraulic jumps. (Reproducedwith permission of the AmericanMeteorological Society, modified fromSchär C and Smith

RB (1993) Shallow-water flow past isolated topography. Part I: Vorticity production and wake formation. Journal of the Atmospheric

Sciences 50: 1373–1400.)

1The potential vorticity is usually defined asP ¼ f .=y=r, where

r is the density. Then Q ¼ rP is the potential vorticity per unit

volume in the same sense thatru is thexmomentumper unit volume.
As this is cumbersome terminology, we refer to Q simply as the

potential vorticity.
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Here B ¼ u . u=2þ cpT þ gz (with T the sensible
temperature, cp the specific heat at constant pressure,
and g the gravitational constant) is the Bernoulli
function, which at steady state is constant following
the flow (cf. eqn [3]) except where modified through
dissipation. The relation [8] shows that for steady
flow, gradients ofBon an isentropic surface (or surface
of constant y) imply fluxes of potential vorticity.

Figure 8 depicts the flow fields on an isentropic
surface passing over an obstacle with a thin dissipative
region over the lee slope. Thedissipationmaybedue to
wave breaking, a hydraulic jump, or a similar distur-
bance. As in the shallow-water case, the localized
dissipative region produces a wake of fluid with
reduced Bernoulli function extending downstream.
At steady state the Bernoulli gradients implicit in such
a wake are necessarily associated with nonzero fluxes
of potential vorticity as given by eqn [8]. Since JD ¼ 0
away from the dissipative region, the potential vorti-
city fluxes downstream are advective and imply
nonzero Q. We thus find that potential vorticity is
generated in the dissipative region and advected
downstream at the lateral edges of the wake. Down-
stream of the dissipative region the isentropic surface
is essentially horizontal, so that the presence of
nonzero Q also implies nonzero vertical vorticity. If
the vertical vorticity is sufficiently strong, the associ-
ated wake will possess reversed flow and a pair of lee
vortices.

The above analysis nicely demonstrates the
close relationship between dissipative processes
and wake structure at steady state. However, it should

be noted that this steady-state relationship does not
imply a sense of causality. At present it is not clear
whether viscous and diabatic effects play a primary
role in vortex development or are instead the by-
product of an essentially inviscid and adiabatic
tendency to form vortices (or whether such a distinc-
tion can even be made). Note also that while the
steady-state Bernoulli analysis predicts the production
of potential vorticity in the wake due to dissipative
processes, it does not address in detail the dynamics of
vorticity and potential vorticity generation. As such,
the approach has the same limitation as the shallow-
water analysis, namely, that it does not explain how
the individual air parcels in the wake acquire vorticity
or potential vorticity.

Themost fundamental attempt to explicitly account
for vorticity generation in orographic wakes is based
essentially on the vorticity dynamics of inviscid three-
dimensional mountain waves. In incompressible (as is
approximately the case for most atmospheric flows of
interest) and inviscid stratified flow, the vorticity is
governed by eqn [9], where r is the density and p is the
pressure.

qf
qt

þ ðu . =Þf ¼ ðf . =Þuþ =r�=p

r2
½9�

The second term on the right gives the generation of
vorticity by baroclinicity, while the first term describes
stretching and tilting of the vorticity by the flow field.
In most orographic disturbances the baroclinic term is
well represented by eqn [10], where k̂k is again the
vertical unit vector and b is the buoyancy (see
Buoyancy and Buoyancy Waves: Theory).

=r�=p

r2
� �k̂k�=b ½10�

In this approximation, vorticity is generated through
horizontal gradients in the buoyancy and the associ-
ated tendency toward vertical motion. Note that the
vorticity generation is entirely horizontal. To produce
vertical vorticity the baroclinically generated horizon-
tal vorticitymust be tilted by the flowfield so as to have
a vertical component.

For inviscid and adiabatic flow the potential vorticity
Q remains everywhere zero (if it is zero upstream) and
the vorticity is thus tangent to isentropic surfaces.
Vertical vorticity can then be diagnosed by tracing
vortex lines2 along a constant-y surface while account-
ing for the vertical deflections of the surface. If the
vortex lines cross contoursofheight on the surface, then

B <B∞
B =B∞

B =B∞

B =B∞

B =B∞

Bmin

PV <0

PV >0

Figure 8 Schematic depiction of potential vorticity production in

steady stratified flow past a topographic obstacle. Flow fields are

shown on a low-level isentropic surface passing over the obstacle.

Thin lines are streamlines. Dark shading over the lee slope

indicates a localized region of dissipation due towavebreaking or a

hydraulic jump. The shaded area extending downstream repre-

sents reduced values of the Bernoulli function, with darker shading

indicating greater reduction. Open arrows show the potential

vorticity flux J associated with the Bernoulli gradient on the

isentropic surface. (Reprinted with permission of the American

Meteorological Society, from Schär C and Durran DR (1997)

Vortex formation and vortex shedding in continuously stratified

flows past isolated topography. Journal of the Atmospheric

Sciences 54: 534–554.)

2A vortex line is a curve in space along which the vorticity is
everywhere tangent. Vortex lines are thus the analogues for the

vorticity field of streamlines for the velocity field.
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vertical vorticity is necessarily present. Note that for
adiabatic flow the potential temperature y is unchanged
following the motion of fluid particles; in this case
isentropic surfaces are also stream-surfaces in the flow.

Figure 9 summarizes the basic dynamics leading to
vertical vorticity production in inviscid and adiabatic
mountain waves. The heavy solid line in Figure 9A
represents a streamline in the wave field above the
mountain at a height Nz=U ¼ p=2. Above the wind-
ward slope, fluid particles in the wave ascend and
become negatively buoyant, leading to a negative x-
gradient of buoyancy upstream of the obstacle.
According to eqn [10] this generates vorticity of the
sense pointing into the plane of the figure (i.e., in the
positive y direction). As the flow descends above the
lee slope, the opposite occurs and a negative y-
component of vorticity is generated. In three dimen-
sions these vortex lines running into and out of the
figure loop around the lateral ends of the obstacle and

connect. Figure 9B shows a vortex line on the
isentropic surface corresponding to the streamline in
Figure 9A. Downstream of the obstacle both the
surface and the vortex line are displaced downward by
the descending flow, while upstream the displacement
is upward. As a result, there are regions at the ends of
the obstacle where the vortex line ascends or descends
the sloping isentropic surface and the vorticity has a
nonzero vertical component. Note that the sign of the
vorticity is of the appropriate sense to describe the flow
in lee vortices.

We thus find that baroclinically generated horizon-
tal vorticity inherent in the mountain wave is tilted by
the ascending and descending flow in the wave to
produce vertical vorticity at the lateral ends of the
obstacle. This vorticity may then contribute to the
formation of a counterrotating vortex pair. Further
analysis suggests that dissipationmay act to extend the
vorticity pattern downstream in a pair of potential
vorticity streamers as depicted in Figure 8.

Recent work suggests a possible link between the
mountain-wave analysis described above and the
shallow-water approach of the previous section.
Figure 10 shows results of a numerical simulation of
stratified flow past an isolated ridge with e ¼ 1:8 and
b ¼ 5. A hydraulic jump similar to that in Figure 3A
forms downstream of the obstacle; the shading in
Figure 10 shows the position of the jump. Behind the
jump the flow is weakly reversed, indicating the early
stages of vortex formation. From a macroscopic
perspective the flow in Figure 10 is similar to the
shallow-water calculation of Figures 7A, B, with
streams of vertical vorticity extending downstream of
the lateral ends of the jump. However, in the case of
Figure 10 it can be shown that the vertical vorticity of
the wake originates in themountain wave upstream of
the jump through a mechanism similar to that
described in Figure 9. Upon reaching the jump, the
vorticity is amplified severalfold through vertical
stretching to produce the pronounced vorticity anom-
alies at the edges of the wake.

In the flow of Figure 10 the viscosity is sufficiently
high to suppress the onset of small-scale turbulence.
Real flows are likely to be turbulent in both the
steepened mountain wave and the hydraulic jump,
raising the possibility of vorticity generation by
turbulent stresses. It remains to be seen how well the
mechanisms of vorticity generation in the viscous
laminar model extend to more realistic flows with
turbulence. The details of vorticity generation in some
large-e (e03, say) cases with prominent flow-splitting
are also uncertain at present. Numerical simulations
of flow at large e often show jump-like features on the
lateral slopes of the obstacle as in the shallow-water
calculationsofFigures7C,D. The tilting and stretching
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Figure 9 Vertical vorticity production in a 3Dmountain wave. (A)

Streamline with upstream heightNz/U5 p/2 in the centerline plane
for flow over an obstacle with e50.5 and b5 2.4. Circular arrows

indicatehorizontal vorticity generated throughbuoyancygradients.

(B) Schematic vortex line on the isentropic surface corresponding

to the streamline in (A). Circular arrows indicate vertical vorticity in

regions where the vortex line ascends or descends the sloping

isentropic surface. (After Smolarkiewicz PK and RotunnoR (1989)

Low Froude number flow past three-dimensional obstacles. Part I:

Baroclinically generated lee vortices. Journal of the Atmospheric

Sciences 46: 1154–1164.)
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mechanism described above likely plays an important
role in creating the vertical vorticity of the wake in
such cases. However, in other large-e flows the jumps
on the lateral slopes are weak or apparently absent (at
least at steady state). One possibility is that the
Bernoulli dificit of thewake in such cases is determined
not by jump-like features but rather by weak dissipa-
tion distributed throughout the length of the wake. A
Bernoulli gradient and associated potential vorticity
flux are then produced where the recirculating (low-
Bernoulli) wake flow joins the incident flow on the
flanks of the obstacle. Further work is needed to
understand the nature of vorticity generation in this
latter type of flow.

Vortex Shedding

Vortex shedding and vortex streets are thought to
result in most cases from the instability of an attached
(i.e., nonshedding) counterrotating wake flow. Any
noise or impulsive disturbance in the flow tends to
trigger the instability and leads to growing modes that
disrupt the attached wake pattern. The instability is a

property of the shear flow in the wake and has little
dependence on either the mechanisms of wake forma-
tion or the details of the flow near the obstacle. As
such, the transition to vortex shedding in geophysical
flows is expected to be somewhat similar to that found
in homogenous flows past submerged obstacles, for
which there is an extensive literature. Some of the
more illustrative results on vortex shedding in 2D
homogenous flows have been extended in detail to
shallow-water flow over an isolated obstacle. Subse-
quent studies of wake stability in stratified flow have
revealed instability structures similar to those found in
the shallow-water case. However, it should be noted
that the literature on wake stability and vortex
shedding in stratified flows is rather limited.

Figure 11 describes the instability and transition to
vortex sheddingof anelongatedwake in shallow-water
flow. The wake in Figures 11A, B supports essentially
two distinct types of instability. The shear lines at the
lateral edges of the wake each in isolation support
unstable modes associated with the local vorticity
extremum. However, the energy of these modes prop-
agates rapidly downstream away from the obstacle
before the disturbance has an opportunity to grow
significantly. As a result, thesemodes have little impact
on the overall (or global) stability of the wake. A
second type of unstable mode is antisymmetric about
the wake centerline and depends on a coupling of the
two shear lines with the reversed flow in between.
Modes of this type grow in place and disrupt the
counterrotating wake pattern. The disturbance is
typically first manifest as a wavelike oscillation near
thedownstreamstagnationpoint (Figure11C).At later
times (Figure 11D) isolated patches of vorticity are
shed from the downstream endof thewake. Eventually
the disturbance becomes evident in the immediate lee
of themountain as well and vortices of alternating sign
are shed from either side of the obstacle with nearly
perfect periodicity. In this final (or saturation) state the
flow is similar to that shown in Figure 1B.

Detailed stability analyses of wake flows show
that the growing disturbance tends to emanate from
the part of the wake featuring reversed flow. Wakes
without reversed flow are expected to be stable.
Similarly, if the wake features only a limited region
of weak reversed flow, then the dispersion of distur-
bance energy away from this region may be sufficient
to suppress the growth of the mode. The transition (or
bifurcation) from a stable wake to an unstable wake
with increasing obstacle height has yet to be explored
for shallow-water flow. It seems likely that in the free-
slip inviscid case virtually any wake with flow reversal
will eventually become unstable as the wake elongates
in the downstreamdirection.However, the addition of
viscosity and/or bottom friction tends to stabilize
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Figure 10 Incipient vortex formation in viscous stratified flow

past a long ridge with e ¼ 1:8, b ¼ 5 and Re ¼ 1000. Fields are

shown on a low-level terrain-following surface. Vectors show the

horizontal velocity and contours give the nondimensional vertical

vorticity z=e2dN (contour interval 0.21 with negative contours

dashed and zero contour suppressed). Shaded area indicates the

position of a hydraulic jump similar to that shown in Figure 3A.

(From Epifanio CC and Durran DR (2002) Lee-vortex formation in

free-slip stratified flow over ridges. Part I: Comparision of weakly

nonlinear inviscid theory and fully nonlinear viscous simulations.

Journal of the Atmospheric Sciences 59: 1153–1165.)
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wakes with weak reversed flow. This stabilization is
effected primarily through a decrease in the down-
stream length of the wake (thus reducing the extent of
the flow reversal) and to a lesser degree through direct
reduction in the growth rates of the disturbance
modes.Numerical computationswith realistic param-
eters suggest that bottom friction may indeed exert an
important stabilizing influence on atmospheric wakes,
such as that behind the island of Hawaii (Figure 1A).

See also

Boundary Layers:Overview. Buoyancy and Buoyancy
Waves: Theory. Downslope Winds. Hydraulic Flow.
Lee Waves and Mountain Waves. Mountain Meteor-
ology.OrographicEffects:LeeCyclogenesis.Vorticity.
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Figure11 Wake instability and vortex shedding in shallow-water

flow past an isolated obstacle. (A) Streamlines and (B) nondimen-

sional vorticity az=ðgDÞ1=2 (contour interval 0.25 with negative

contours dashed and zero contour suppressed) of the initial state.

The initial state was obtained through a numerical computation in

which symmetry about thewake centerlinewas explicitly enforced,

thus inhibiting thegrowthof antisymmetric disturbancemodes.The

symmetry condition was then removed, allowing the wake to

becomeunstable. (C) and (D) show thesubsequentevolutionof the

wake in terms of the vorticity distribution at times ðgDÞ1=2t=a ¼ 36

and ðgDÞ1=2t=a ¼ 72. (Reprinted with permission of the American

Meteorological Society, adapted from Schär C and Smith RB

(1993) Shallow-water flow past isolated topography. Part II:

Transition to vortex shedding.Journal of theAtmosphericSciences
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Introduction

Buoyancy perturbations develop when stably strati-
fied air ascends a mountain barrier. These perturbat-
ions often trigger disturbances that propagate away
from the mountain as gravity (or buoyancy) waves.
Gravity waves triggered by the flow over a mountain
are referred to as mountain waves or lee waves.
Mountain waves sometimes reveal their presence
through dramatic cloud formations, such as smooth
lenticular clouds (see Figures 4 and 5) and ragged rotor
clouds. Large-amplitude mountain waves can gener-
ate regions of clear air turbulence that pose a hazard to
aviation. Large-amplitude mountain waves may also
produce very strong winds that blow down the lee
slope of ridge-like topographic barriers (see Down-
slope Winds).

What happens to mountain waves after they are
generated? If the wave amplitude becomes large in
comparison to the verticalwavelength, the streamlines
in a vertically propagatingmountainwave steepen and
overturn in a manner roughly analogous to a breaking
wave in the ocean. Such ‘convective’ overturning often
occurs as the waves enter the lower stratosphere,
where they encounter increased static stability and
decreasing horizontal wind speeds. The convective
overturning of vertically propagating waves is also
promoted by the systematic decrease in atmospheric
density with height. Those waves that do not break
down due to convective overturning before reaching
the mesosphere are ultimately dissipated by the
vertical transfer of infrared radiation between the
warm and cool regions within the wave and surround-
ing atmosphere (radiative damping).

Horizontal momentum is transported by mountain
waves from the regions of wave dissipation to the
surface, where a net pressure force is exerted on the
topography. A decelerative force is exerted on the
large-scale atmospheric circulation in those regions
where the wave undergoes dissipation.

The basic structure of a mountain wave is deter-
mined by the size and shape of themountain andby the
vertical profiles of temperature, wind speed, and
moisture in the impinging flow. The overall character
of thewave can often be predicted on the basis of linear
theory, inwhich themountain is assumed tobe small in
comparison with the vertical wavelength of the

mountain wave, and such theory will be the subject
of the next section. Nevertheless, nonlinear effects do
exert an significant influence on the wave amplitude
and are essential to the dynamics of mountain wave
dissipation in regions of wave-breaking; such effects
will be considered later in this article.

Linear Mountain Wave Theory

The strongest mountain waves are forced by long
quasi-two-dimensional ridges that are sufficiently
narrow that the dynamical influence of the Coriolis
force can be neglected. The basic dynamics of these
waves are largely captured by the linear theory for
steady two-dimensional Boussinesq flow over an
obstacle. The linearized momentum, thermodynamic,
and continuity equationsmay be reduced to eqn [1] for
the vertical velocity w.

q2w
qx2

þ q2w
qz2

þ ‘2w ¼ 0 ½1�

Here x is the horizontal coordinate perpendicular to
the ridge-line, z is the vertical coordinate, and ‘ is the
Scorer parameter, given by eqn [2], inwhichUðzÞ is the
speed of the basic-state flow and NðzÞ is the Brunt–
Väisälä frequency (or alternatively, the buoyancy
frequency).

‘2 ¼ N2

U2
� 1

U

d2U

dz2
½2�

In the Boussinesq limit, the Brunt–Väisälä frequency
may be defined in terms of the basic state potential
temperature �yyðzÞ, a constant reference potential tem-
perature y0, and the gravitational acceleration g, such
that N2 ¼ ðg=y0Þ dy=dz.

Neglecting the effects of surface friction, the veloc-
ity perpendicular to the topographymust vanish at the
surface of the topography z ¼ hðxÞ. This constraint
provides a lower boundary condition for eqn [1], and
can be approximated to the same accuracy as the
linearized governing equations as wðx; 0Þ ¼ Uqh=qx.
The atmosphere has no distinct upper boundary, so the
upper boundary condition is imposed in the limit
z ! 1. In order to assure the physical relevance of
mathematical solutions to eqn [1] in the infinitely deep
atmosphere, those solutions must satisfy one of two
possible conditions: either (1) the perturbation energy
density must approach zero as z ! 1, or (2) if
the perturbation energy density is finite as z ! 1,
then the perturbation energy flux associated with each
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individual vertically propagating mode must be up-
ward. The second condition allows the representation
of disturbances generated within the domain that
propagate energy upward to arbitrarily great heights,
but it prohibits downward-propagating modes from
radiating energy into the domain from infinity.

Constant Wind Speed and Stability, Sinusoidal
Ridges

As a first example, consider flow in a horizontally
periodic domain in which h xð Þ ¼ h0 sin ðkxÞ. The
lower boundary condition becomes w x; 0ð Þ ¼
Uh0k cos kx, and solutions to eqn [1] subject to
this lower boundary condition may be written in
the form of eqn [3].

w x; zð Þ ¼ ~ww1 zð Þ cos kxþ ~ww2 zð Þ sin kx ½3�
Substituting [3] into [1], one obtains eqn [4].

d2 ~wwi

dz2
þ ‘2 � k2
� �

~wwi ¼ 0 i ¼ 1; 2 ½4�

Consider the simplest possible atmospheric structure
in which N and U are constant with height. Without
loss of generality we will focus on the case in which
U > 0 and k > 0. Since N and U are constant, ‘2 ¼
N2=U2 is also constant. Defining n ¼ ‘2 � k2

� �1=2
and

m2 ¼ �n2, the solution to eqn [4]may bewritten as [5],
where A, B, C, and D are constants to be determined
by the upper and lower boundary conditions.

~wwi zð Þ ¼ Aie
uz þ Bie

�mz k > ‘
Ci cos nzþDi sin nz ko‘

�
½5�

Note that the fundamental character of the solution
depends on the relative magnitudes of the Scorer
parameter and the horizontal wavenumber.

If ‘ok, or equivalently, if the intrinsic frequency of
the wave Uk is greater than N, solutions to [4] either
grow or decay exponentially with height. Only the
solution that decays with height is admitted by the
upper boundary condition that the perturbation ener-
gy density must approach zero as z ! 1. The vertical
velocity satisfying [1] and the upper and lower
boundary conditions is given by eqn [6].

w x; zð Þ ¼ Uh0ke
�mz cos kx ½6�

On the other hand, if ‘ > k, the solutions to [4] are
sinusoidal functions of z that neither amplify nor
decay as z ! 1. The upper boundary condition then
requires that the perturbation energy flux in the wave
be upward, or equivalently, that the groupvelocity (see
DynamicMeteorology:Waves) in thewave be directed
upward. The dispersion relation for the time-depend-
ent generalization of [1] is given by [7], where o is the

frequency and k andm are the horizontal and vertical
wavenumbers in an arbitrary wave of the form
<½eiðkxþmz�otÞ�.

o ¼ Uk� Nk

k2 þm2ð Þ1=2
½7�

Since by assumption U > 0, all steady waves (for
which o ¼ 0) are associated with the negative root in
eqn [7], and their vertical group velocities are given by
eqn [8].

qo
qm

¼ Nkm

k2 þm2ð Þ3=2
½8�

Upward group velocity and upward energy transport
are obtained when k and m have the same sign. Thus
when ‘ > k, the solution to eqn [1] satisfying the upper
and lower boundary conditions may be expressed as
eqn [9].

w x; zð Þ ¼ Uh0k cos kxþ nzð Þ ½9�
The difference between these twowave structures is

illustrated in Figure 1, which shows streamlines over a
series of sinusoidal ridges in a steady flow with N ¼
0:01 s�1 and U ¼ 15m s�1. In the case in Figure 1A
the topographic wavelength is 8 km and ‘2ok2 (or
equivalently,Uk > N); the waves decay exponentially
with height, and the wave crests are aligned vertically.
In the case in Figure 1B the topographic wavelength is
40 km and ‘2 > k2 orUkoNð Þ; the waves propagate
vertically without loss of amplitude, and the wave
crests tilt upstreamwith height. Thewaves decay away
from the forcing when the intrinsic frequency exceeds
the Brunt–Väisälä frequency ðUk > NÞ because there
is no way for buoyancy restoring forces to support
oscillations at such high frequencies (see Buoyancy
and BuoyancyWaves:Optical Observations; Theory).
On the other hand, when the intrinsic frequency is less
than the Brunt–Väisälä frequency, vertical propaga-
tion occurs because buoyancy restoring forces can
support air-parcel oscillations along a path slanted off
the vertical at an angle f ¼ cos�1 ðUk=NÞ. In steady
mountain waves, f is the angle at which lines of
constant phase tilt off the vertical.

Isolated Mountain, Vertical Variations in N or U

Themountainwave solutions [6] and [9] are only valid
for air streams with constant basic-state wind speed
and stability flowing across an endless series of
sinusoidal ridges. If more realistic terrain profiles
and atmospheric structures are considered, other
linear solutions can be obtained that more strongly
resemble observedmountainwaves. In this section,we
will describe how the wave response is influenced by
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isolated topography and vertical variations in atmos-
pheric wind speed and stability.

Suppose that the mountain profile consists of a
single ridge from which the terrain elevation drops to
some reference level at all distances sufficiently far
upstream and downstream. Just as Fourier series can
be used to represent a wide variety of periodic
functions with an infinite sum of sines and cosines,
the isolated mountain can, under rather general
conditions, be constructed from periodic functions
by the use of Fourier transforms. Let ŵw k; zð Þdenote the
Fourier transform of w x; zð Þ with respect to the x
coordinate, and let ĥh kð Þbe the Fourier transformof the
topography hðxÞ.

The kth component of the Fourier-transformed
vertical velocity ŵw k; zð Þ must satisfy the Fourier
transform of the governing equation [1], expressed
by eqn [10], which has the same form as [4].

q2ŵw
qz2

þ ‘2 � k2
� �

ŵw ¼ 0 ½10�

The lower boundary condition transforms to
ŵw k; 0ð Þ ¼ iUkh0ĥh. When N and U are constant,
the solution to eqn [10], subject to the appropriate
upper and lower boundary conditions, is given by eqn
[11].

ŵw k; zð Þ ¼ ikUĥh kð Þ exp i ‘2 � k2
� �1=2

z
h i

; k > 0 ½11�

Equation [11] is just the complex analog of [5]; each
Fourier component ŵw k; zð Þ of the transformed vertical
velocity is identical to the ~wwi forced by an infinite series
of sinusoidal ridges having wavenumber k and ampli-
tude ĥh kð Þ. The solutions obtained in the preceding
section are therefore also applicable to the case of
isolated topography. The only complication arises
from the requirement that after the ŵw k; zð Þ are

determined, the total vertical velocity wðx; zÞ must
be obtained by computing an inverse Fourier trans-
form. The relative weight attached to each individual
wavenumber in the composite solution is determined
by the Fourier transform of the mountain.

Streamlines for steady linear flow over an isolated
ridge of the form given by eqn [12] are shown in Figure
2A for the case N ¼ 0:01047 s�1, U ¼ 10m s�1, and
Nh0=U ¼ 0:6.

h xð Þ ¼ h0a
2

x2 þ a2
½12�

In this case Na=U � 10 and the dominant horizontal
wavenumbers in the Fourier transform of the topo-
graphy satisfy k2 � ‘2, which eliminates the depend-
ence of the vertical structure on the horizontal
wavenumber in [11]. As a result, all modes associated
with these dominant wavenumbers have approxi-
mately the same vertical wavelength ð2pU=N ¼
6 kmÞ, so the streamline at 6 km approximately
reproduces the mountain profile while those at 3 and
9 km are roughly the mirror image of the topo-
graphy. The solution shown in Figure 2A is com-
puted numerically without making the hydrostatic
assumption and is very similar to that which would be
obtained in the hydrostatic limit, in which all hori-
zontal wavenumbers have exactly the same vertical
wavelength and the mountain profile is exactly repro-
duced by the streamline originating at the 6 km level
upstream.

As suggested by Figure 2A, when an infinitely long
ridge is sufficientlywide that the flow is approximately
hydrostatic Na=U �1ð Þ, but still narrow enough that
Coriolis forces can be neglected ( fj ja=U�1,where f is
the Coriolis parameter), energeticmountainwaves are
found only in the region directly above the mountain.
In the general case, the absence of wave energy in the
region downstream can be deduced from the horizon-
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Figure1 Streamlines in steadyairflowover an infinite series of sinusoidal ridgeswhenN ¼ 0:01 s�1; U ¼ 15ms�1, and thewavelength
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tal group velocity for a steady two-dimensional wave
in a mean flow with U > 0. This is expressed by eqn
[13], which approaches zero in the hydrostatic limit
(for which k2=m2 ! 0).

qo
qk

¼ Nk2

k2 þm2ð Þ3=2
½13�

A sufficient decrease in the width of the mountain will
lead to the generation of nonhydrostatic waves with
downstream group velocities, but large-amplitude lee
wave trains, such as those shown in Figure 2B, do not
occur unless there are significant vertical variations in
the wind speed and static stability.

If the vertical variations inU andN are such that the
Scorer parameter decreases significantlywith height, a
cross-topographic flow may generate a qualitatively
different type ofwave, the trapped leewave.A series of
trapped lee waves (also known as resonant lee waves)
are apparent extending downstream from the ridge
throughout the layer 0 � z � 4km in Figure 2B; a
vertically propagating wave is also visible directly
above the mountain. The streamlines shown in Figure
2B are for the linear solution to the same problem
considered in Figure 2A, except that a ¼ 5km and
the static stability above 3 km is reduced by a factor of
0.4. (The Brunt–Väisälä frequencies in the upper
and lower layers are thus NU ¼ 0:004 188 s�1 and
NL ¼ 0:010 47 s�1, respectively.)

A necessary condition for the existence of trapped
waves in the two-layer problem is expressed by the
inequality [14], where ‘U and ‘L are the Scorer
parameters in the upper and lower layers, and H is
the depth of the lower layer.

‘2L � ‘2U 	 p2

4H2
½14�

Inequality [14] states that the difference in wave
propagation characteristics in the two layers must
exceed a certain threshold before the waves can be
trapped. The horizontal wavenumber of any resonant
lee wave in the two-layer system satisfies ‘L > k > ‘U,
implying that the wave propagates vertically in the
lower layer and decays exponentially with height in
the upper layer. As shown in Figure 2B, trappedwaves
have no tilt, even though they can propagate vertically
in the lower layer. The reason for this is that wave
energy is repeatedly reflected, without loss of ampli-
tude, from the upper layer and the flat ground
downstream from the mountain. As a result, the
downstream disturbance is the superposition of equal-
amplitude upward and downward propagating
waves, a combination which has no tilt.

Nonlinear Mountain Waves

Now suppose that the mountain height is not small
compared to the vertical wavelength of the mountain
wave. If N and U are constant, the streamline
displacement dðx; zÞ in steady two-dimensional Bous-
sinesq flow over such a ridge is still governed by a
relatively simple mathematical model known as
Long’s equation (eqn [15]).

q2d
qx2

þ q2d
qz2

þN2

U2
d ¼ 0 ½15�

Although Long’s equation is a linear partial differen-
tial equation, it may be derived from the fully
nonlinear equations without making any linearization
or small-amplitude assumptions. Nevertheless, eqn
[15] may also be derived by assuming the mountain is
infinitesimally high and linearizing the governing
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Figure 2 Streamlines in steady air flow over an isolatedmountain as predicted by linear theory when (A) a ¼ 10 km,N is constant, and

Nh0=U ¼ 0:6; (B)a ¼ 5 km,N is constant throughout eachof two layers such that between thesurfaceand3 kmNLh0=U ¼ 0:6, andabove

3 km NUh0=U ¼ 0:24.
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equations in the usual manner. When N and U are
constant, the only difference between the linear and
nonlinear solutions arises from the lower boundary
condition, which requires d x; h xð Þ½ � ¼ h xð Þ in the
exact finite-amplitude case and is approximated by
d x; 0ð Þ ¼ h xð Þ in the small-amplitude limit.

As one might guess from the similarities in the
governing equations, when N and U are constant the
influence of nonlinear dynamics on the wave structure
is often relatively minor. This similarity can be
appreciated by comparing the linear solution in Figure
2Awith the correspondingnonlinear solution inFigure
3A, both of which show streamlines in a Boussinesq
flow for which Nh0=U ¼ 0:6. Nonlinear processes
steepen the streamlines around z ¼ 4:5km,which is 3/
4 of a vertical wavelength ð3lz=4Þ above the topogra-
phy. Conversely, the nonlinear waves are less steep
than their linear counterparts near z ¼ 1:5 km, which
is lz=4 above the mean height of the topography.
Despite these modest differences in the shape of the
streamlines in the linear andnonlinearwaves, thewave
amplitude is almost identical in both cases. Nonlinear
processes do not have a dramatic impact on the waves
forced by flow over a infinitely long ridge unless either
(1) there are vertical variations in N and U or (2) the
mountain is high enough to force wave overturning.

The influence of nonlinear wave dynamics on the
flow in the two-layer atmosphere previously consid-
ered in connection with Figure 2B is shown in Figure
3B. The amplitude of the lee waves in the nonlinear
solution is much larger than that in the linear solution,
and in the nonlinear case some spatial variation is
visible among the individual troughs and crests in the
region 65 � x � 100 km. As suggested by this exam-
ple, and demonstrated in several observational cam-
paigns and numerical studies, linear theory does not
reliably predict the amplitude of trapped lee waves
generated by finite-amplitude mountains. The main

shortcoming of linear theory is that it cannot capture
the tendency of the nonlinear dynamics to enhance the
short-wavelength Fourier components in the low-level
wave field over the lee slope. The nonlinear enhance-
ment of these short-wavelength flow perturbations
often produces more forcing at the wavelength of the
resonant lee waves than does the direct forcing by the
topographic profile itself.

Clouds that form in regions of net upward displace-
ment in vertically propagating hydrostatic waves may
appear like the cloud in Figure 4. The large single
region of cloudiness parallel to the mountain crest is
probably formed by air parcel displacements qualita-
tively similar to those in the streamline originating
near the 6 km level in Figure 3A. Clouds that form in
trapped lee wavesmay appear as a series of long bands
parallel to the generating ridge. Such bands are often
visible in satellite photographs and are formed by
streamline patterns qualitatively similar to those
originating in the layer between 2 and 4 km in Figure
3B. Nevertheless, three-dimensional variations in the
upstream topography often break these bands into the
superposition of many lens-shaped cloudmasses, such
those shown in Figure 5.

Returning to the discussion of how nonlinear
dynamics modify the structure of mountain waves,
consider the influence of wave breaking on the flow.
Two examples in which the wave amplitude becomes
large enough to overturn are shown in Figure 6. The
case shown Figure 6A is one with constant N and U
identical to that inFigure 3A, except that themountain
height is increased so thatNh0=U ¼ 1:2. (The vertical
scale also extends to z ¼ 15 km.) Wave overturning
first begins at the 3lz=4 level, which is the same level at
which the wave faces appear to be steepened in Figure
3A. As thewave begins to overturn, a lz=2 deep region
of well-mixed stagnant fluid develops over the lee
slope and begins to extend downstream. A second

Cross-ridge distance (km)
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(A) Cross-ridge distance (km)
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Figure 3 As in Figure 2, except that the streamlines are for a fully nonlinear flow as computed using a numerical model. The trapped

waves in panel (B) are not completely steady; the solution is shown a nondimensional time Ut=a ¼ 20 after starting the flow from rest.
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region of wave overturning eventually develops at a
height of 7lz=4, although the perturbations are weak-
er at this level due to the dissipation experienced by
the wave as it propagates through the first wave-
breaking level. Figure 6 shows the solution at a
nondimensional time ðUt=aÞ of 30, by which time
the near-mountain solution is quasi-steady, but the
layers of well-mixed fluid continue to expand further
downstream. Also shown are contours of the sub-grid-
scale eddy diffusivity. Regions in which the sub-grid-
scale diffusivity is large are regions in which the
numerical model has diagnosed the present of vigor-
ous small-scale turbulence such as that which occurs
due to wave breaking.

Although the breaking of mountain waves in an
atmosphere with constant N and U has received a
great deal of theoretical attention, the morphology of
such flows is not representative of most real-world
wave-breaking events, in which the wave structure is
significantly modified by vertical wind shear in the
upstream flow. Those ridges that run north–south in
the middle latitudes are oriented perpendicular to the
climatological westerly flow and are frequent gener-
ators of large-amplitude mountain waves. A proto-
typical example of the mountain waves generated
by such ridges in a deep westerly flow is shown in
Figure 6B. The mountain profile, the surface wind

speed (10m s�1), and the low-level stability
(0.01047 s�1) are identical to those for the case in
Figure 6A, but the wind speed increases linearly to
25m s�1 at a height of 9 km. The presence of a
stratosphere is modeled by increasing N to 0.02 s� 1

above 9 km and a linearly decreasing U back to
10m s�1 at z ¼ 13 km. The wind speed is a constant
10m s–1 above 13 km. The increase in the cross-
mountain wind with height throughout the tropo-
sphere decreases the local value of the nonlinearity
parameter NðzÞh0=UðzÞ to a minimum just below the
tropopause at z ¼ 9km. Above the tropopause N�
ðzÞh0=UðzÞ increases rapidly with height due to the
factor of two increase inN and the reversal of thewind
shear. As evident in Figure 6B, these more realistic
vertical variations in the upstream flow are sufficient
to focus the primary region of wave-breaking in the
lower stratosphere (around z ¼ 12 km) and to prevent
wave-breaking in the troposphere.

The influence of wave-breaking is highly nonlocal.
In the case with constant N and U, the entire lee-side
flow in the wave-breaking regime (Figure 6A) is
dramatically different from that in the nonbreaking
regime (Figure 3A). In particular, the surface winds
above the lee slope are significantly enhanced in the
wave-breaking regime (see Downslope Winds). The
breaking waves in Figure 6B also exert a nontrivial

Figure4 Single lenticular cloud over LagunaVerde,Bolivia. This cloudwasprobably formedby a vertically propagatingmountainwave.

(Copyright Bernhard Mühr, www.wolkenatlas.de.)
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influence on the low-level flow, although this influence
is considerably less dramatic than that which develops
as a consequence of wave-breaking in Figure 6A.

Vertical Momentum Transport

When air flowing over amountain generates vertically
propagating waves, a region of high pressure develops

upstreamof the ridge crest and a regionof lowpressure
appears in the lee. The distribution of these pressure
perturbations is revealed by the along-flow variation
in the spacing between the two lowest streamlines in
Figures 1B, 2A, 3, and 6. The asymmetry in the
pressure distribution across the ridge gives rise to a net
pressure force on the topography that tends to
accelerate the topography in the direction of the

Figure5 Multiple lenticular clouds overMývatin, Iceland formed by trapped leewaves. (CopyrightGeorgMüller, www.wolkenatlas.de.)
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Figure 6 Streamlines (solid) and contours of the sub-grid-scale eddy diffusivity (dot-dashed, at intervals of 20m2 s�1) for (A) the case,

shown in Figure 3A, except that Nh0=U ¼ 1:2 and the vertical scale extends to 15 km. (B) As in (A), except with westerly wind shear

throughout the tropopause and a realistic stratosphere (see text).
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mean flow. An equal and opposite force is exerted on
the mean flow by the topography.

To see how the topographically induceddecelerative
forcing is distributed throughout the fluid, consider
the horizontal momentum equation [16], in which v is
the total velocity vector, p is the pressure, r is the
density, and i is the unit vector along the x coordinate,
and u ¼ v 
 i.

qru
qt

þr 
 ruvþ pið Þ ¼ 0 ½16�

Integrate the preceding throughout the volume be-
tween the surface hðxÞ and an arbitrary level zt; use the
divergence theorem; note that there is no advective
momentum flux through the lower boundary; and
assume that the domain is periodic in the horizontal
direction. Then eqn [17] is obtained.

q
qt

ZZZ
rudV ¼�

ZZ
ruw dxdy

����
z¼zt

�
ZZ

p
qh
qx

dx dy

����
z¼h ½17�

When vertically propagating mountain waves are
present, the cross-mountain pressure drag (given by
the last term in eqn [17] must decelerate the volume-
averaged flow in the layer between the surface and zt
unless the pressure drag is balanced by a downward
transfer of momentum through level zt. This same
result can be obtained for flow in nonperiodic domains
under the assumption that the perturbation quantities
vanish at the lateral boundaries, although caution is
advisedwhen trying to apply eqn [17] in a nonperiodic
domain because non-negligible mountain-wave-
induced perturbations may extend far upstream and
downstream from a very long ridge.

The interaction between the mean flow and the
mountain-wave-induced momentum fluxes can be
described more precisely by separating the dynamical
variables into an average over the domain (denoted by
an overbar and taken as representative of the synoptic-
scale flow impinging on the mountain) and the
perturbation about that average (denoted by a prime
and assumed to represent the contributions from
mountain waves generated by the flow over the ridge).
The horizontal momentum equation for two-dimen-
sional inviscid Boussinesq flow can be expressed by
eqn [18].

qr0u
qt

þ q
qx

r0u
2 þ p

� �þ q
qz

r0uwð Þ ¼ 0 ½18�

If this is averaged over a periodic domain (or if it is
assumed that the perturbations vanish at the lateral
boundaries of a nonperiodic domain) and if �ww ¼ 0,

one obtains eqn [19].

qr0�uu
qt

¼ � q
qz

r0u0w0� � ½19�

A decelerative forcing will therefore be exerted on the
flow in those regions in which the mountain-wave-
induced momentum flux is divergent, i.e., where
qðr0u0w0Þ=qz > 0.

The vertical profile of the momentum flux is
particularly easy to describe for steady, inviscid,
small-amplitude waves in a periodic domain (or in
an unbounded domain in which the waves decay as
x ! �1). The cross-mountain pressure drag in such
waves is identical to the vertical momentum flux at
z ¼ 0, as may been seen from the steady state version
of [17] in the limit zt ! 0. Furthermore, a classic
theorem due to Eliassen and Palm states that under the
preceding assumptions r0u0w0 is constant with height
except at a ‘critical level’ at which �uu ¼ 0. Mountain
waves are dissipated at the mean-state critical layers
found in real atmospheric flows. Mountain waves are
also dissipated through breaking and overturning if
they attain sufficiently large amplitude due to the
decrease in densitywith height or, as in Figure 6, if they
propagate into a region in which the local value of
N=U increases significantly. Small-amplitude moun-
tain waves that propagate all the way to the meso-
sphere without experiencing overturning are damped
by infrared radiation.

The Eliassen and Palm theorem implies that small-
amplitude mountain waves transport a fraction of the
momentum of the cross-mountain flow downward to
the surface from those elevations at which the waves
undergo dissipation. There will be no vertical mo-
mentum flux divergence and no forcing of the mean
flow within those layers of the atmosphere in which
the waves are steady and nondissipative. The momen-
tum fluxed downward by the waves is transferred to
the topography by the cross-mountain pressure drag.
Similar distributions of the vertical momentum flux
are obtained even when the waves are nonsteady and
nonlinear. For example, the vertical momentum flux
profile associated with the finite amplitude waves
shown in Figure 6B is approximately nondivergent
between the ground and the region of wave-breaking
in the layer 11 � z � 13 km. In contrast, the momen-
tum flux profile is strongly divergent in the wave
breaking region, and the mean flow is subject to a
significant decelerative forcing throughout this layer
(see Wave Mean-Flow Interaction). Unlike surface
friction, the drag associated with mountain waves is
typically exerted on the flow well above the lower
boundary. Numerical experiments with general circu-
lation models suggest that mountain-wave-induced
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drag plays a nontrivial role in the total momentum
budget of the atmosphere.

See also

Buoyancy andBuoyancyWaves:Optical Observations;
Theory. Downslope Winds. Dynamic Meteorology:
Waves. Lee Vortices. Wave Mean-Flow Interaction.
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Introduction

Lidar (an acronym for light detection and ranging) is a
remote sensing technique used predominately for
measuring atmospheric parameters, such as tempera-
ture, composition and wind. Lidar operates on the
same principle as radar; in fact, it is sometimes called
laser-radar. Both these techniques operate by trans-
mitting a beam of electromagnetic radiation and
subsequently detecting any radiation scattered back
to the instrument. The scattered radiation is analyzed
in order to determine some property or properties of
the medium through which the radiation traveled.
Lidar and radar differ in the wavelength of the
radiation utilized. Radar uses wavelengths longer
than about 1 cm, in the radio band, while lidar uses

light in the ultraviolet, visible, and infrared, which in
modern lidar systems is generated by lasers. The
different wavelengths used by radar and lidar leads to
the very different forms the actual instruments take.

The range of atmospheric parameters measurable
with lidar includes temperature, wind velocity, atomic
and molecular species concentration, and aerosol and
cloud properties.

In addition to its atmospheric applications, lidar is
also used in ocean research and military applications,
including the detection of chemical and biological
agents and the remote identification and tracking of
vehicles. Lidar-equipped binoculars are used by
hunters and golfers as they provide accurate range
measurements.

Evolution

The principle of lidar was first proposed in 1930. The
original proposal suggested the measurement of
atmospheric density profiles by the detection of
scattering from a beam of light projected into the
atmosphere. This proposed scheme suggested an
antiaircraft searchlight as the source of the beam and
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a distant large telescope for the receiver. In this
configuration, now known as bistatic, the range of
the scattering can be determined by geometry. In the
bistatic configuration, shown in Figure 1, the field of
view of the receiver is scanned along the transmitted
beam in order to obtain an altitude profile of the
scattered light.

The first results obtained using this principle were
reported in the late 1930s when photographic record-
ings of light scattered from a searchlight beam were
made.

Typically, modern lidar systems are monostatic in
configuration, with the transmitter and receiver co-
located. Monostatic systems can be subdivided into
two categories: coaxial systems, where the laser beam
is transmitted coaxially with the receiver’s field of
view, and biaxial systems, where the transmitter and
receiver are located adjacent to each other.Monostatic
lidar systemsuse pulsed light sources, thereby enabling
the range at which scattering occurs to be deter-
mined from the round-trip time of the scattered light
(Figure 2).

By the early 1950s, refinements in technique and
improved instrumentation, including electrical re-
cording of the intensity of the backscattered light,
allowed the measurement of atmospheric density
profiles up to altitudes of around 67 km. These
measured density profiles were then used to derive
temperature profiles using the Rayleigh-lidar tech-
nique, which is described later.

The invention of the laser in 1960 and the giant
pulse, or Q-switched, laser in 1962 provided a
powerful new light source for lidar. The first use of a
laser in a lidar system was reported in the early 1960s
and since then developments in lidar have been linked
closely to advances in laser technology.

Instrument Basics

Lidar hardware can be conveniently divided into three
subsystems: the transmitter, the receiver, and the

detection and recording systems. Figure 3 is a block
diagram of a generic lidar system, which shows how
these subsystems work together to form a complete
lidar.

Transmitter

The transmitter generates light pulses with the re-
quired properties and directs them into the atmos-
phere. Pulsed lasers, with their inherently low
divergence, narrow spectral width, and short, intense
pulses are ideal as the light sources for lidar systems.

In addition to a laser, the transmitter of a lidar often
includes a beam expander, whose purpose is to reduce
the divergence of the beam being transmitted into the
atmosphere. This allows a reduction in the back-
ground measured by the lidar. At night, the back-
ground is due to light from the Moon, stars, airglow,
and artificial lights. During the day, background is
predominately due to the Sun. Background can enter
the lidar receiver either directly or after scattering in
the atmosphere. A reduction in the divergence of the

Laser beam

Detector
field of view

Monostatic
coaxial

Monostatic
biaxial

Bistatic

Figure 1 Three possible alignment arrangements of a lidar’s

transmitted beam and receiver field of view.
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Figure 2 Schematic illustrating the process of ranging based on

timing the returned signal.
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Figure 3 Schematic of a generic lidar.
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transmitted beam allows the field of view of the
receiver to be reduced, resulting in a lower back-
ground.

The narrow spectral width of the laser has been used
to advantage in a variety of ways in lidar systems. It
allows the spectral filtering of light by the lidar
receiver. A bandpass filter tuned to the laser wave-
length selectively transmits photons backscattered
from the laser beam, while rejecting photons at other
wavelengths, thereby enabling a reduction in the
background by several orders of magnitude. The pulse
properties of pulsed lasers allow ranging to be
achieved by timing the backscattered signal, thus
allowing the simpler monostatic configuration.

The major influence on the type of laser used in a
lidar is the parameters the lidar is being designed to
measure. Some measurements require a very specific
wavelength and/or tunability, i.e. resonance–fluores-
cence and differential-absorption lidar (DIAL). These
types of lidars can require complex laser systems to
produce the requiredwavelengths,while other simpler
lidars, such as Rayleigh, Raman, and aerosol lidars,
can operate over awidewavelength range. Although it
may be possible to specify the exact performance
characteristics of the laser requiredof a particular lidar
measurement, these characteristics often need to be
compromised in order to select from the types of lasers
available.

Receiver

The receiver of a lidar collects and processes the
scattered laser light before directing it onto the
detector. The first optical component, the primary
optic in the receiver usually has a large diameter,
enabling it to collect a large amount of the scattered
laser light.

Lidar systems typically utilize primary optics with
diameters ranging from about 10 cm up to a few
meters in diameter. Optics at the smaller end of this
scale are used in lidar systems that are designed to
work at close range – a few hundred meters – andmay
be lenses or mirrors. Optics at the larger end of this
range are used in systems designed to probe themiddle
and upper atmosphere and are typically mirrors.

After collection by the primary optic, light is usually
processed in some way before being directed to the
detector system. Processing can be based on wave-
length, polarization, and/or range, depending on the
purpose for which the lidar has been designed.

As described previously, the simplest form of
processing based on wavelength is the use of a
narrow-band interference filter to reduce the back-
ground. Much more sophisticated spectral filtering

schemes are employed in Doppler and high-spectral-
resolution lidar systems.

Signal separation based on polarization is a tech-
nique often used in the study of atmospheric aerosols.
Information on aerosol properties can be obtained
from the degree to which light scattered from a
polarized laser beam is depolarized.

Processing of the backscattered light based on range
can be performed in order to protect the detector from
the intense near-field returns of high-power lidar
systems. This protection is achieved by using a fast
shutter that closes the optical path to the detector
while the laser is firing and for a short time afterward.
The shutter opens again in time to allow transmission
of light backscattered from the altitude range being
studied.

Detection and Recording

The signal detection and recording section of a lidar
takes light from the receiver andproduces a permanent
record of the measured intensity as a function of
altitude. In the first lidar systems the detection and
recording system comprised a camera and photo-
graphic film. Today detection and recording is
achieved electronically. The detector is a device that
converts light into an electrical signal and the recorder
is an electronic device, often involving a microcom-
puter, which processes and records this electrical
signal.

Photomultiplier tubes (PMTs) are devices used as
detectors for incoherent lidar systems working in the
visible and ultraviolet. PMTs convert an incident
photon into an electrical current pulse large enough to
be detected by sensitive electronics. Other devices that
are less commonly used as detectors in lidar systems
include multianode PMTs, micro-channel-plates
(MCPs), and avalanche photodiodes.

There are two ways the output of a PMT can be
recorded electronically; the pulses can be counted
individually (photon counting) or the average current
due to the pulses can be measured and recorded
(analog recording). Which method is the more appro-
priate depends on the rate at which the PMT produces
output pulses, which is proportional to the intensity of
the light incident on the PMT. If the average time
between PMT output pulses is much less that the
average pulse width, then individual pulses can be
easily identified and photon counting is the more
appropriate recording method. However, if the aver-
age time between PMT output pulses is close to, or
greater than, the average pulse width, then it becomes
impossible to distinguish overlapping pulses, and so
analog recording becomes the more appropriate
method.
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Coherent Detection

There is a class of lidar systems that determine wind
speed bymeasuring the Doppler shift of backscattered
light. There are two ways these measurements can be
achieved, namely incoherent and coherent detection.
Incoherent systems measure the wavelength of the
transmitted and received light independently, using
a spectrometer, and determine the Doppler shift
from these two measurements. Coherent detection
systems use a local oscillator, a narrow-band contin-
uous-wave laser, to set the frequency of the transmitted
pulses. Systems incorporating coherent detection use a
local oscillator on a photomixer. This arrangement
results in the output of the photomixer being a radio-
frequency (RF) signal whose frequency is the differ-
ence of the frequencies of the local oscillator and the
backscattered light. Standard RF techniques are then
used to measure and record this RF signal. The
measured RF signal is used to determine the Doppler
shift of the backscattered light and thus the wind
speed.

The Lidar Equation

The lidar equation is used to determine the number of
photons detected by a lidar system. The lidar equation
takes into account both instrumental parameters and
geophysical variables. The general form of the lidar
equation includes all forms of scattering and it can be
used to calculate the signal strength for any lidar.

The number of photons detected as pulses at the
photomultiplier output, per laser pulse, is

A

Z
Dl

PSðlÞttðlÞtr lð ÞQ lð Þ
Z R2

R1

xðrÞtaðr; lÞ2 1

r2

�
X
i

dsi
dO

ðlÞNiðrÞ dr dl ½1�

In eqn [1] A is the area of the telescope; PSðlÞ is the
convolutionofPðlÞ andSðlÞ,wherePðlÞ is the number
of photons emitted by the laser in a single laser pulse
and SðlÞ is a function which takes into account any
wavelength shift during scattering, including Doppler
and Raman shifts; Dl is the wavelength range for
which PSðlÞ is nonzero; ttðlÞ and trðlÞ are the optical
transmission coefficients of the transmitter and re-
ceiver optics respectively; QðlÞ is the quantum effi-
ciency of the photomultiplier; r is the range andR1 and
R2 are the minimum and maximum ranges for a range
bin; xðlÞ is the overlap factorwhich takes into account
the intensity distribution across the laser beam and the
physical overlap of the transmitted laser beam and the
field of viewof the receiver optics; taðr; lÞ is the optical

transmission of the atmosphere along the laser path;
ðdsi=dOÞðlÞ is the backscatter cross-section for scat-
tering of type i; and NiðrÞ is the number density of
scattering centers, which cause scattering of type i.

The general form of the lidar equation, as expressed
in eqn [1], can usually be greatly simplified when
applied to a particular lidar system.

Rayleigh Lidar

Rayleigh lidar is the name given to the class of lidar
systems that measure the intensity of light backscatter
by molecules from altitudes between about 30 and
100 km. The intensity profiles measured by Rayleigh
lidars are used to calculate relative density profiles,
which are in turn used to calculate absolute temper-
ature profiles. The terms Rayleigh scattering and
molecular scattering are often used interchangeably,
as are the terms Mie scattering and aerosol scattering.
Rayleigh theory named after its founder, Lord Ray-
leigh, describes the scattering of light by molecules
that are small compared with the wavelength of the
incident radiation; Mie theory describes scattering by
aerosols that are not small compared with the wave-
length, so there is a strong connection between these
two pairs of terms.

Rayleigh scattering explains the color, intensity
distribution, and polarization of the blue sky in terms
of scattering by atmospheric molecules. For objects
with dimensions greater than about 0.003 times the
incident wavelength, the more general Mie theory
must be used to calculate scattering effects.

The Rayleigh backscatter (y ¼ p) cross-section for
the atmosphere below 90km can be expressed as

dsRðy ¼ pÞ
dO

¼ C

l4
m2 sr�1 ½2�

where the value of C is between about 4.75 � 10� 57

and 5.00 � 10�57, depending on the value used for
index of refraction of air. Above 90 km altitude, the
concentration of atomic oxygen becomes significant,
causing the refractive index of air to change, resulting
in eqn [2] becoming less accurate with increasing
altitude. The Rayleigh backscatter cross-section, eqn
[2], can be used in conjunctionwith the lidar eqn [1] to
determine the intensity of the backscatter that can be
expected for a particular Rayleigh lidar system.

The Rayleigh lidar technique relies on the measured
signal being proportional to the atmospheric density.
This is not the case in any region that contains
aerosols. From the surface to the top of the strato-
spheric aerosol layer, about 25–30 km, the atmosphere
contains a significant concentration of aerosols, thus
the Rayleigh technique cannot be directly applied to
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this region. However, the atmosphere above this
altitude contains very few aerosols, allowing the
application of the Rayleigh technique.

Theprinciple of operationof aRayleigh lidar system
is quite simple. A pulse of laser light is fired up into the
atmosphere, any photons backscattered and collected
by the receiving system are counted as a function of
range. The lidar eqn [1] can be applied directly to a
Rayleigh lidar system to calculate the expected signal
strength. For Rayleigh lidar a number of simplifica-
tions can be made to eqn [1], allowing it to be
expressed as

Signal ¼ K
1

R2
NaðRÞ dR ½3�

where K is a constant that includes all constant terms
from eqn [1],R is the range, dR is the length of a range
bin, andNaðRÞ is the number density of air. Equation
[3] shows that after correction for range a Rayleigh
lidar’s signal will be proportional to the atmospheric
number density profile.

Due to the uncertainties in atmospheric transmis-
sion and instrumental parameters it is not possible to
determine the value of the constant K in eqn [3]
precisely enough to enable the determination of an
absolute density profile. Themeasured relative density
profile can be scaled to a model density profile to
obtain a density profile that is well scaled.

The relative density profile is integrated, using the
hydrostatic equation, to determine a relative pressure
profile. This integration requires an initial or seed
pressure, usually chosen from a model atmosphere, to
initiate the integration at the maximum altitude of the
density profile. The pressure profile calculated in this
way has the same ratio to the actual pressure as the
relative density profile has to the actual density, i.e.
their scaling factors are the same.

An absolute temperature profile can be calculated
by applying the ideal gas law to the relative density and
pressure profiles. The application of the ideal gas law
divides the relative pressure by the relative density so
that their scaling factors, which are the same, cancel
out, resulting in an absolute temperature profile.

The selection of the seed for the pressure integration
may introduce an error into the calculated tempera-
ture profile. The magnitude of this error is propor-
tional to the difference between the actual pressure
and the seedpressure used.As the actual pressure is not
known, the resulting error in temperature is unknown.
However, the magnitude of this error reduces as
the calculation of temperature proceeds downward
(Figure 4). Users of this technique are well advised to
ignore temperatures from at least the uppermost
10 km of the retrieval, since the uncertainties intro-

duced by the seed pressure estimate are not easily
quantified.

Above about 90 km, changes in composition of the
atmosphere cause the Rayleigh backscatter cross-
section and the mean molecular mass to change with
altitude. These changes lead to errors in the temper-
atures derived using the Rayleigh lidar technique. For
the current generation of Rayleigh lidar systems other
sources of error, statistical fluctuations and seeding
error are generally larger than errors due to compo-
sition changes above 90 km. However, more powerful
Rayleigh lidar systems may ultimately be limited
in their maximum altitude extent by composition
changes.

While even the most technically advanced, ground-
based, middle-atmosphere lidar systems need clear
skies to operate, the addition of Fabry–Perot etalons in
the receiver allows daytime measurements. This day-
time capability is technically complex and has been
implemented on only very few Rayleigh lidar systems.

Doppler Effects

The motion of air molecules has components due to
both random thermalmotions andwind.When light is
scattered by amolecule it suffers a change in frequency
due to the Doppler effect. The magnitude and direc-
tion of the Doppler shift is determined by the compo-
nent of the molecule’s velocity along the direction of
the lidar beam.
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The random thermal motions of air cause backscat-
tered laser light to be spectrally broadened. Using
Maxwell’s velocity distribution function and the
Doppler equation, it can be shown that the broadening
function is a Gaussian and has a temperature-depend-
ent width.

Wind, the average motion of air molecules, causes
backscattered laser light to suffer a frequency shift
while maintaining its shape. The frequency shift is
directly proportional to the component of the wind
velocity in the direction of scattering, the radial wind
velocity. Figure 5 shows how the spectrum of a
narrow-bandwidth laser is modified due to scattering
by atmospheric molecules.

Middle atmospheric winds can be determined by
measuring the spectrum of backscattered light; how-
ever, Rayleigh–Doppler temperature measurements
are quite difficult, as the signal-to-noise requirements
are much greater than those for wind velocity meas-
urement using this technique.

Aerosol Lidar

The theory of scattering developed byMie early in the
last century is a general solution to the scattering of
electromagnetic radiation by a homogeneous sphere.
This early work has been extended to cover numerous
other geometries and so provides a useful approxima-
tion for scattering from atmospheric aerosols.

The influence of clouds and aerosols on the atmos-
pheric energy budget is complex, as they scatter and
absorb both incoming solar and outgoing terrestrial
radiation. Since the early 1960s many lidar systems
have been operated at various stations around the
world to study aerosols and clouds in the troposphere

and lower stratosphere. Aerosols and clouds are easily
detected by elastic backscatter lidar; however, instru-
ments using multiple-wavelength transmitters and
receivers and polarization techniques provide signif-
icantly more information on their properties.

In September of 1994, NASA flew a space shuttle
mission, STS-64, which included the Lidar In-Space
Technology Experiment (LITE) instrument, the first
successful space-based lidar. LITE was used to meas-
ure tropospheric and stratospheric aerosols, clouds,
and surface reflectance on a global scale.

Lidar systems can utilize the backscatter from
aerosols tomeasurewind velocity. Light backscattered
from aerosols undergoes the sameDoppler shift due to
wind as light scattered back frommolecules.However,
the spectral broadeningof the light backscattered from
aerosols is much narrower than that backscattered
from molecules, owing to the difference between the
masses of the two types of scatterers. The high signal
level offered by scattering from aerosols in the lower
atmosphere allows the use of coherent detection for
the determination of wind velocity. Steerable lidars
based using this technique are capable ofmaking high-
resolution wind field maps.

Differential-Absorption Lidar (DIAL)

The differential-absorption lidar (DIAL) technique is
used for measuring the concentration of trace species
in the atmosphere. The DIAL method relies on sharp
variations in optical transmission near an absorption
line of an atmospheric constituent. A DIAL transmits
two closely spaced wavelengths, one coinciding with
an absorption line of the constituent of interest and the
other in the wing of this absorption line. During the
transmission of the two wavelengths through the
atmosphere, the emission tuned to the absorption line
will suffer greater attenuation than the emission in the
wing of the absorption line. The intensities of the two
wavelengths backscattered to the DIAL instrument
can then be used to determine the optical attenuation
owing to the constituent, and thus the concentrationof
that constituent.

The DIAL technique has proven to be useful in
providing tropospheric measurements with good time
and spatial resolution for a number of trace species,
including NO, H2O, O3, SO2, and CH4, as well as
stratospheric ozone measurements. DIAL allows
mapping and wide-area monitoring of industrial
effluents and pollution.

Raman Lidar

If monochromatic light, or light of sufficiently narrow
spectral width, is scattered by gas or liquid then the

Laser emission

Spectrum after
scattering by
air

Wavelength

Intensity

Figure 5 Doppler shift effects on Rayleigh scattering a narrow-

line-width laser from atmospheric molecules. The broadening is

due to thermal motion and the shift is due to wind. The intensity of

the two spectra are not to scale.
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spectrum of the scattered light can be observed to
contain lines at wavelengths different from that of the
incident radiation. This effect was first observed by
Raman; it is due to the interaction of the radiationwith
the quantized vibrational and rotational energy levels
of the scattering molecule. Raman scattering involves
a transfer of energy between the scattered light and the
molecule; it is therefore an inelastic process. As the
energy levels for each type of molecule are unique, so
the Raman spectrum is unique and provides a method
of sensing a particular molecular species.

The termRaman lidar refers generally to a lidar that
utilizes light scattered by molecules that undergo a
change in their vibrational quantum number. Meas-
urement of the intensity of the scattered Raman light
allows the calculation of the abundance of the molec-
ular species. The selection of vibrational Raman lines
can be achieved with high-quality narrow-band inter-
ference filters. However, the blocking of such a filter
must bemade high enough for elastic backscatter from
molecules and aerosols to be attenuated effectively.
Owing to the small cross-sections for Raman scatter-
ing, Raman lidar is limited to molecules with a
relatively high abundance, such as water vapor and
molecular nitrogen. Raman lidar is generally simpler
to implement than DIAL.

Raman lidar is used predominately for the meas-
urement of atmosphericwater vapor and temperature.
Raman molecular nitrogen profiles can be used to
determine atmospheric temperature profiles, using the
Rayleigh technique described above, even in regions
containing aerosols. Elastic scattering from aerosols
can be separated effectively from the Raman nitrogen
backscatter by spectral filtering. The Raman nitrogen
signal is therefore approximately proportional to the
number density profile, although a correction must be
made for the optical attenuation of the atmosphere
due to both aerosols and molecules.

The pure rotational Raman spectrum (PRRS),
which is due to scattering involving a change in the
rotational quantumstate only, is difficult tomeasure as
the spectral shift of the lines is quite small. The
separation of lines in the PRRS of N2 is about
16 cm� 1, while the first vibrational transition causes
a shift of about 2331 cm� 1. The shape of the PPRS is
temperature-dependent, allowing pure rotational Ra-
man lidar to make atmospheric temperature measure-
ments.

Resonance–Fluorescence Lidar

The constant ablation of meteors in the Earth’s upper
atmosphere leads to the existence of extended layers of
alkali metals at altitudes around 90 km. These metals

have low abundance but very high resonant scattering
cross-sections. Resonant scattering occurs when the
energy of an incident photon is equal to the energy of
an allowed transition within an atom. In this elastic
process, the atomabsorbs a photon and instantly emits
another photon at the same frequency. As resonant
scattering involves an atomic transition between
allowed energy levels, the probability of this process
occurring is much greater than that for Rayleigh
scattering, leading to themuch higher scattering cross-
sections. The resonant-scattering cross-section for
sodium at 589 nm is about 1015 times larger than the
cross-section for Rayleigh scattering by air at the same
wavelength. As each species of alkali metal has a
unique absorption and, hence, resonant-scatter and
fluorescence spectrum, these may be used to identify
and measure the concentration of each individual
species. Although most commonly applied to sodium,
resonance–fluorescence lidar has been applied to
calcium (Ca and Ca1), potassium, lithium, and iron.

Sodium lidar systems are used to measure the
abundance profiles of sodium at between 85 and
105 km, with time resolution of tens of seconds and
altitude resolution of a few hundred meters. Density
perturbations due to wave motions are present in the
sodium density profiles, enabling the determination of
wave parameters in this dynamically active region of
the atmosphere to be determined. Spectral resolution
of resonance–fluorescence scattering from sodium
allows the determination of the temperature and
wind. This technique, narrow-band resonance–fluo-
rescence lidar, allows accurate, high-resolution tem-
perature and wind measurements in the mesopause
region.

See also

Aerosols: Observations and Measurements. Lidar: Ra-
man; Resonance.Optics, Atmospheric:Optical Remote
Sensing Instruments. Radar: Incoherent Scatter Radar.
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Introduction

This article covers several aspects of lidar backscatter.
After a general introduction, various definitions per-
taining to lidar backscatter are described. This is
followed by a description and explanation of the
scattering and backscattering phase functions, includ-
ing presentation of typical scattering phase functions
of molecules, water drops, and clouds. The polarized
nature of the radiation and its treatment by a scatter-
ing matrix are then described briefly. The lidar
equation is presented, together with a simple solution
in order to point out the importance of the backscatter
phase function and its relation to the extinction to
backscatter ratio and its use in solving the equation.
Examples of extinction to backscatter ratios of various
atmospheric constituents are presented. Several ex-
amples of profiles of measured atmospheric backscat-
ter are described, including stratospheric aerosols,
cirrus clouds, and depolarizing effects in midlevel ice,
water, and mixed-phase clouds. The article does not
cover inelastic backscatter such as Raman scattering
and fluorescence.

Lidar is used to detect and profile certain constitu-
ents in the atmosphere, such as molecules, aerosols,
and clouds. The backscatter from such entities is
important in lidar because most lidar (laser radar)
systems are monostatic, that is, there is a telescope
receiver placed close to, or coaxial with, a laser pulse
transmitter. Pulses of light sent into the atmosphere are
scattered in all directions by molecules, aerosols, and
clouds, and a small amount scattered into the back
direction is returned to the receiver. The time taken for
the laser pulse to return gives the range of the
atmospheric volume being studied and the amplitude
of the return is proportional to the volume density of
the atmospheric particles or molecules. The amount

scattered in any direction forms a pattern that is
described by the single scattering phase function PðWÞ
where W is the angle between the scattered light and the
forward direction as shown in Figure 1. The amount
scattered by a particle is dependent on the diameter of
the particle and its size compared with the wavelength
of light. It is also dependent on whether the particle or
molecule is absorbing as well as scattering. Thus,
particles that are small compared with the wavelength
scatter less than if the scatter were determined solely
by the particle cross-section, and the amount is
described by the scattering efficiency.

The efficiency of backscatter is very important for
lidar systems and is also related to the backscatter
phase function PðpÞ, the phase function at a scattering
angle of 1801 from the forward direction.

Backscatter Efficiency and
Backscatter Coefficient

The scattering efficiency Qscðl; rÞ of an atmospheric
particle (molecule, aerosol, water drop, or ice crystal)
determines how much radiation is scattered in all
directions by the particle. Here l is wavelength and r
particle dimension. Consider a uniform light beam of
intensity I (Wm� 2) incident on a particle of area of
cross-sectionA. If Isc is scattered, Ia is absorbed and I0
passes straight through, then I ¼ Isc þ Ia þ I0. For
visible lidar scatter on spherical water drops and
typical ice crystals the last two terms are close to zero.
The scattering efficiency is defined as

Qscðl; rÞ ¼ Isc
I

½1�

Because of the nature of electromagnetic scattering
Qscðl; rÞ can approach a value of 2 for non-absorbing
particles large comparedwith thewavelength l. This is
because diffraction occurs around and outside the
edges of the particle, causing the effective cross-section
to be about 2A for large particles and less than 1A for
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particles smaller than the wavelength, where scatter-
ing becomes less efficient.

We can define backscatter efficiencyQpðl; rÞ as the
fraction of the total scattered radiation Isc that is
scattered in a cone of unit solid angle around the back
direction of scattering. Because the integrated solid
angle over the scattering sphere is 4p, if there is
uniform scattering over the whole sphere (isotropic
scattering), the backscatter efficiency is 1=4p, or
0.0796. An alternative quantity is the radar backscat-
ter efficiency, which is 4p times the lidar efficiency, so
that for isotropic scatter it has a value of 1. The
backscatter phase function, as well as the total
scattering efficiency, determines the backscatter effi-

ciency, as shown under ‘Scattering Phase Function’
below.

When lidar is observing the atmosphere, it is
observing the molecular atmosphere into which are
mixed aerosols and clouds in different proportions
and varying in both time and space. Of course,
aerosols and clouds – particularly clouds – tend to
form in well-defined layers, whereas gas molecules are
distributed throughout the atmosphere, the molecular
density depending on the local pressure and temper-
ature. Aerosols and clouds generally contain a range of
particle sizes with different number densities, defining
a smooth particle number size distribution. Of course,
the backscatter efficiency will vary also with particle
size. Lidarmeasures the returnswithin a volume of the
atmosphere and the volume backscatter coefficient
bðlÞ is defined as

bðlÞ ¼
Z 1

0

Qpðl; rÞnðrÞpr2 dr ½2�

where nðrÞ is the number of particles of dimension r,
and in the case illustrated above the particles are
spheres (a water cloud, for example) of radius r.

For ice crystals, the dimensions and area depend on
the crystal type or habit. Consider hexagonal ice
crystals with length L and diameter D. Then an area
can be defined asLD and the backscatter coefficient as

bðlÞ ¼
Z 1

0

Qpðl; rÞLD dL ½3�

We assume in eqn [3] that ice crystals are falling with
their long dimensions horizontal, which can be the
case if they are large enough, and that the lidar is
pointing vertically. If the ice crystals are tumbling then
an effective dimension has to be determined. The area
of cross-section of hexagonal crystals is actually a little
more complicated than shown in eqn [3], which is
shown only as an example of how specifically the
cross-sectional area must be defined.

Scattering Phase Function

The phase function PðWÞ defines the intensity of the
radiation scattered by a particle at an angle W to the
forward direction. The total scattered radiation nor-
malized to 4p is then

Z 180

0

PðWÞ cos W sin WdW ¼ 4p ½4�

The value of the backscatter phase function, together
with the scattering efficiency, will determine the
backscatter efficiency. This can be either larger or
smaller than the isotropic backscatter efficiency of

Particle

Lidar

Back

Forward

�

Figure 1 Schematic of backscattering at an atmospheric

particle.
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0.0796, depending on whether the scattering phase
function is peaked or depressed near the backscatter-
ing direction.

We now consider some phase functions for a range
of atmospheric constituents and the corresponding
backscatter phase function and efficiency. The single
scattering phase function for an atmospheric molecule
is shown in Figure 2. As noted above, the phase
function denotes the fraction of the total radiation that
is scattered into a given angle to the incident direction.
Note that the scattering differs according to the
polarization of the radiation. For scattered radiation
in a plane containing the direction of polarization and
the vector of the incident radiation, denoted by l, the
phase function falls to zero at scattering angle of 901.
For radiation perpendicular to the plane containing
the incident vector, denoted by r, scattering is inde-
pendent of direction. The scattering direction inFigure
2 is depicted in a polar diagram where incident
radiation is entering from the left of the diagram.
The normalized scattering phase function for unpo-
larized light is given by

PðWÞ ¼ 3

16p
ð1þ cos2 WÞ ½5�

The backscatter phase function PðpÞ is then 6=16p
(50.119 per steradian).

For particles of molecular size, or of dimensions
small compared with the wavelength, Rayleigh scat-
tering theory is appropriate. For particle dimensions
approaching, or larger than, the wavelength of the
incident radiation, Mie scattering theory is appropri-
ate. Figure 3 shows the polar scattering diagram for a
water sphere, as might be found in a water cloud. The
diagram shows a succession of high and low values of
scatter, caused by complex interference effects be-
tween penetrating and surface waves on the sphere.
The quantity r is the radius of the sphere and x is the
size parameter, 2pr=l. The backscatter phase function,

which is not normalized, is seen to be small compared
with the forward scattering. This is a characteristic of
scattering on large particles, with some exceptions, as
we will see. The phase function depicted here is the
sum of the two directions of polarization (see under
‘Polarization Effects’ below).

Figure 4 shows typical scatter on an ice crystal that
has dimensions large compared with the wavelength.
The presentation is different, with scattering angle on
the x-axis and phase function on the y-axis. Again one
can see that the backscatter phase function is quite low,
andmuch lower than that from amolecule. Of course,
the cross-sections of ice clouds are much greater per
unit volume than for molecules, so that backscatter
intensity from ice clouds tends to be greater, although
this is not always the case. The crystal phase function is
calculated either from a complex geometrical theory
or by geometrical ray tracing.

What is relevant here to lidar backscatter is the large
differences in the backscatter phase function between
the various atmospheric components in Figures 2 to 4.
If b is the backscatter coefficient and s is the volume
extinction coefficient, then

k ¼ b
s
¼ Qp

Qsc
¼ PðpÞ ½6�

where Qsc is the effective scattering efficiency of the
volume of particles and similarly for the backscatter

Il

Il + Ir

Il

Ir

Figure 2 The scattering phase function for scattering from a

molecule – Rayleigh scattering. Labels are described in the text.

(Adapted with permission from Twomey S (1977) Atmospheric

Aerosols. Amserdam: Elsevier.)
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Figure 3 Scattering phase function for a water drop. The size

parameter and water droplet size are shown below. (Adapted with

permission from Twomey S (1977) Atmospheric Aerosols. Amser-

dam: Elsevier.)
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efficiency. The quantity k is known as the backscatter-
to-extinction ratio and it is clear that it is numerically
equal to the normalized backscatter phase function. A
value of k is needed to solve the backscatter lidar
equation for volume attenuation of the lidar beam and
is therefore a crucial quantity to lidar backscatter
measurements. A popular quantity is S, defined as the
lidar ratio, which is simply the reciprocal of the
backscatter-to-extinction ratio and therefore is meas-
ured in steradians. Typical ranges of values of S and k
are shown in Table 1. Note that aerosol populations
also possess a range of values of these quantities. A
value k representing the isotropic, or radar, ratio has
also been used. It has the value of 4pPðpÞ.

Polarization Effects

Thus far we have considered the total radiation
backscattered by a particle without consideration of
whether the light is polarized or not. In fact, pulsed

lasers used in lidar are usually linearly polarized to a
high degree, and we have to consider the known
depolarizing effects in the backscatter from some
atmospheric components. Molecules have no depo-
larization and water spheres only very weak depolari-
zation. Ice crystals, however, are found to depolarize
by various amounts.

Scattering of radiation is conveniently described by
a scattering matrix, whose components can be meas-
ured by optical instruments.
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Figure 4 Scattering phase function for an ice crystal; schematic representation from a number of experimental phase functions.

(Adapted with permission from Platt CMR et al. (1981) Journal of the Atmospheric Sciences 38: 156–167.)

Table 1 Range of values of backscatter parameters k and S for

various atmospheric scatterers

Atmospheric constituent k (sr� 1) S (sr)

Molecular 0.119 8.4

Water cloud 0.047–0.050 20.0–21.3

Ice cloud theoretical 0.008–0.072 14–125

Ice cloud experimental 0.011–0.036 28–91

Aerosol 0.015–0.05 20–60
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Here we consider a backscattering matrix for
nonspherical particles as a general example (see Sassen
2000):

Fð180Þ ¼ diag½F11ð180Þ; F22ð180Þ;
F33ð180Þ; F44ð180Þ� ½7�

This matrix is simplified as it applies to particles that
are randomly oriented in space and which contain a
plane of symmetry, such as typical hexagonal crystals.
The medium is called macroscopically isotropic and
symmetric. If there is horizontal orientation of ice
crystals, which can occur, then more scattering
elements in the matrix need to be considered. The
present treatment represents the present state of
progress in the field.

In terms of the above matrix a depolarization ratio
D, defined as the ratio of the perpendicular to parallel
components, is given by

D ¼ F11ð180Þ � F22ð180Þ
F11ð180Þ þ F22ð180Þ ½8�

Now, for spheres, F11ð180Þ ¼ F22ð180Þ, so that for
that case,D ¼ 0, awell-known result, although there is
some residual depolarization.

Hexagonal crystals depolarize because the laser
radiation undergoes several internal reflections before
ending up in the back direction, so that (except for
specular reflections at perpendicular surfaces) some
rotation of the plane of the polarization vector occurs.
Measured values of depolarization ratio are quite
large in cirrus clouds,which allows some distinction in
cloud phase using a depolarization lidar. The use of
such a lidar in such observations is thus very desirable.

The Lidar Equation

Lidar is used tomeasure the properties of atmospheric
layers through their backscattering anddepolarization
properties. As the layers scatter the laser beam, then
they also attenuate the beam during passage through
that layer. Thus we must understand the retrieval of
the backscatter coefficient of a particular layer. Meas-
ured backscatter must be corrected for this attenua-
tion. It is apparent then as to how the extinction-to-
backscatter ratio S of a volume of particles is impor-
tant to the retrieval process. The lidar equation is
written in the first place in terms of the power PðrÞ
measured from a particular range r:

PðrÞ ¼ EAc

r2
ðbpa þ bpeÞ exp�2

Z r2

r1

sðrÞ dr
� �

½9�

whereE is the pulse energy,A the telescope area, and c
the velocity of light. The backscatter coefficient b is the

sum of the two polarization components in the
parenthesis and sðrÞ is the volume extinction coeffi-
cient of the layer within ranges r1 and r2. The power is
calibrated against that from a molecular layer at a
different range. The lidar (eqn [9]) can then bewritten:

b0ðrÞ ¼ bðrÞT2
12 ½10�

where

T2
12 ¼ exp�2

Z r2

r1

sðrÞ dr

¼ exp�2S

Z r2

r1

bðrÞ dr ½11�

andwe considerbðrÞas the sumof the twopolarization
components.

The solution for bðrÞ in eqns [10] and [11] is then

bðrÞ ¼ b0ðrÞ
1� 2S

R r2
r1
b0ðrÞ dr ½12�

The crucial importance of the quantity S in the
solution is clear.
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Figure 5 Typical backscatter profile (in units of range squared)

for the stratospheric aerosol layer. The backscatter for a model

molecular atmosphere is also shown. (Adapted with permission

from Kent G et al. (1967) Journal of Atmospheric and Terrestrial

Physics 29: 169–181.)
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The solution is generally more complex, as there is
the molecular atmosphere to consider. The above is an
example of how a volume backscatter coefficient can
be recovered if we know the extinction-to-backscatter
ratio S.

Table 1 shows values of k and S for various
atmospheric constituents from both experimental
and theoretical data.

Backscatter lidar has also been used at infrared
wavelengths where the absorption by both water and
ice can be quite strong. In that case, the scattering
efficiency and backscatter efficiency will be corre-
spondingly less than for transparent particles. The
same is true for some aerosols, such as those composed
of soot where strong absorption of visible radiation
can occur. Values of S will be correspondingly larger
than for the transparent-particle case.

Measurements of Atmospheric
Backscatter

Early lidar observations were made of the strato-
spheric aerosol, which responds to large volcanic

eruptions. Such eruptions send a cloud of enhanced
aerosol mass around the globe that is easily observed
by lidar. Series of observations now exist covering
thirty years that show how peak backscatter in the
Junge layer has varied over the years and how it
responds to volcanic activity. An example is shown in
Figure 5. The total backscatter is a mixture of aerosols
andmolecules. Amodel ofmolecular backscatter from
local aerological information is shown, and the
enhanced backscatter in the stratosphere is indicated
clearly. The aerosol backscatter amplitude waxes and
wanes in strength over the years as various volcanic
clouds appear and then dissipate.

The atmospheric boundary layer also contains
copious amounts of aerosol as a capping temperature
inversion impedes upward movement out of the layer.
Such aerosol layers can be dense in large urban areas,
in regions of desert dust, and from forest fires, as
examples.

Cirrus was also an early target of investigation
because of the semitransparent nature of such clouds.
The Sun’s disk is often seen hazily through even quite
deep layers of cirrus. Lidar pulses of radiation can

Wavelength: 0.532 µm
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Figure 6 Typical backscatter profile from a cirrus cloud, showing the strong backscatter and atmospheric attenuation. (Adapted with

permission from Platt CMR et al. (1998) Journal of the Atmospheric Sciences 55: 1977–1996.)
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often penetrate through such layers with sufficient
photons returning to the receiver to be detectable.
Figure 6 shows a typical return from cirrus, the depth
being rather typical for such clouds. Attenuation is
fairly weak for this cloud. The figure also reveals
typical structure with variations in backscatter
with altitude. The Mt Pinatubo volcanic cloud
was strong at the time this profile was taken and
shows through the cirrus. When several profiles
taken at successive time intervals are investigated,
cirrus ice crystals falling out and being swept sideways
by the wind are revealed. There is often also an
indication of cirrus cloud base becoming progressively
lower with time.

Examples of linear depolarization ratio are shown
in Figure 7. Here, layers of midlevel cloud exhibit very
variable characteristics. This is because layers of ice
crystals,water drops, andmixed-phase cloud can exist
separately in the atmosphere. The lidar backscatter is
shown as the full line and the depolarization ratio D as
the broken line. The bottom layer just above 4 km has
a value ofD that is typical of ice clouds. The next layer
has intense backscatter but very low values of depo-
larization. This is an interesting case that is fairly
common at these altitudes and temperatures. Between
atmospheric temperatures of �101C and �201C, ice
crystals are often hexagonal plates that float horizon-
tally through the air. They thus present a large area of
cross-section but also mirror-like surfaces, which do
not depolarize in the back direction. If the lidar is tilted
a few degrees off the horizontal such returns disappear

rapidly, indicating the close angle to horizontal at
which the crystals fall. Such unusual and dramatic
returns from the atmosphere show the strength of lidar
backscatter in picking out details in cloud layers. The
layer at about 4.5 km is probably composed of ice,
with some supercooled water drops possibly also
present. The top layer is interesting because there
appears to be strong attenuation and a pattern of
depolarization ratio that commences at cloud base
with a low value but increases steadily upwards. This
happens to be characteristic of a layer of water drops.
Because these are relatively small and numerous,
attenuation is quite strong. The depolarization pattern
is a consequence of strong multiple scattering in the
beam, where the scattered photons near the back
direction, or even at larger angles, can be scattered
several times more, thus finding their way back into
the telescope receiver beam. This process can, in a
manner equivalent to crystal internal reflections,
rotate the plane of polarization to give depolarization
in the back direction.

The above examples are given to show the power of
lidar backscatter to distinguish various layers of
aerosols and clouds in the atmosphere.

See also

Aerosols: Climatology of Tropospheric Aerosols; Obser-
vations and Measurements; Physics and Chemistry of
Aerosols; Role in Cloud Physics; Role in Radiative Trans-
fer. Cloud Microphysics. Lidar: Atmospheric Sounding
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Figure 7 Examples of returns from a mixed phase cloud, showing various patterns of backscatter (full line) and depolarization ratio

(broken line). (Adapted with permission from Young SA et al. (2000) Journal of Applied Meteorology 39: 135–153.)
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Introduction

Differential absorption lidar (DIAL) is a laser remote
sensing technique that is used for range-resolved
(profile) measurements of atmospheric gas concentra-
tions. This technique was first applied in 1966 for
remote measurements of water vapor (H2O) and since
then it has been used to measure other naturally
occurring atmospheric gases such as ozone (O3) and
many pollutant gases, such as sulfur dioxide (SO2),
nitrogen dioxide (NO2), ammonia (NH3), mercury
(Hg), carbon monoxide (CO), and hydrocarbons.
While the initialDIAL technique development focused
on H2O, the main thrust of the DIAL applications in
the 1970s and early 1980s was on pollution monitor-
ing. The first airborne measurements with DIAL were
aimed at studying tropospheric O3 in large-scale
pollution studies over the east coast of the US in
1980. Subsequently, airborne DIAL measurements of
H2O were demonstrated in 1982. Technological
advancements in airborne DIAL systems have greatly
increased the measurement capabilities of ground-
based and airborneDIAL systems formeasurements of
tropospheric and stratospheric O3 and tropospheric
H2O, along with pollution measurements of many
other gases in range-resolved and column measure-
ments. Even the possibility of high-precision DIAL
measurements of carbon dioxide (CO2) and methane

(CH4) are being explored. The DIAL technique is also
being proposed for global measurements of H2O, O3,
and CO2 from space. All of these topics are discussed
in this article.

DIAL Technique

DIAL is a remote sensing technique that uses two lidar
returns to determine the distribution of a selected gas
along the direction of the lidar beams. A simplified
version of the DIAL concept is shown in Figure 1. The
molecules and aerosols in the atmosphere provide the
backscattering media for the laser light via Rayleigh
and Mie scattering, respectively. Two laser wave-
lengths are employed, one tuned to a strong absorp-
tion feature of the gas of interest, generally called the
‘on’ wavelength (lon) and the other tuned to a nearby
wavelength with weak absorption by the gas, gener-
ally called the ‘off’ wavelength (loff). The value of the
average gas concentration, NA, in the range interval
fromR1 toR2, can be determined from the ratio of the
backscattered lidar signals at lon and loff, as shown
in Figure 1. In that equation, Ds ¼ son � soff, is the
difference between the absorption cross-sections at the
on and off wavelengths, and Pr;onðR1Þ and Pr;offðR2Þ
are the signal powers received from range R at the on
and offwavelengths, respectively. This is essentially an
application of the familiar Beer–Lambert law for an
absorbing medium. The loff lidar return also provides
important information on the molecular and aerosol
scattering properties of the atmosphere, and this

LIDAR / DIAL 1183



contributes greatly to the science interpretation of the
gas profile measurement.

Some of the key considerations for being able to use
the DIAL technique for measuring range-resolved gas
concentrations are listed below:

1. Pulsed laser sources are required that can generate
sufficient pulse energies at the DIAL wavelengths
on andnear a suitable absorption feature of a gas of
interest, with the lon and son optimized so that the
integrated absorption by the gas at the maximum
measurement range has a one-way optical depth of
about one. This ensures an optimum compromise
between having a large Ds and having enough
signal from the most distant range to be able to
make a DIAL measurement.

2. The laser wavelengths must be kept as close
together as possible in order to minimize DIAL
measurement errors that result from differences
in the atmospheric scattering and attenuation
at these two wavelengths. When the laser wave-
length separation is unavoidably large, a correction

to account for wavelength differences in at-
mospheric scattering and attenuation must be
applied.

3. The DIAL measurement wavelength region should
be selected such that the atmospheric scattering is
sufficient to provide adequate backscattered sig-
nals from the atmosphere. Molecular scattering
drops off as l�4 and is very weak for wavelengths
longer than about 1mm. Thus, for longer wave-
lengths, typically longer than 1 mm, aerosols,
clouds, or surfaces, including topographic targets,
have to provide the backscattered signal. For
species that are measured in the thermal infrared
spectral region (3–12 mm), gas profile measure-
ments are generally constrained to the planetary
boundary layer (mixing layer), although long-path
measurements can be made using topographic
targets.

4. Unknown absorption interference from other gas
species should be minimized.

5. Lasers with short pulse lengths compared with the
desired measurement range resolution should be

Figure 1 Differential Absorption Lidar (DIAL) concept.
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used. For example, a 100 ns. laser pulse length has a
15m folded scattering length.

6. The detectors used must have the necessary sensi-
tivity and low noise level for making the DIAL
measurements.

Note that the DIAL technique generally performs
better in the nadir direction than in the zenith
direction, especially for wavelengths shorter than
1mm. The reason is that molecular density and, in
general, aerosol scattering decrease with increasing
altitude, so that the backscattered lidar signal falls off
more rapidly in the zenith than in the nadir. Thus the
DIAL technique is well suited for operation from
airborne platforms, especially for relatively well-
mixed gases such as O3 and H2O. For longer wave-
lengths, the DIAL measurements depend almost
entirely on aerosol scattering, and the nadir direction
is still slightly more preferred above the planetary
boundary layer (PBL). Within the PBL the zenith
measurements would be slightly preferred because the
relative humidity (RH) generally increases with alti-
tude and the aerosol scattering also increases with
altitude due to the growth in aerosol size with
increasing RH.

In designing and operating DIAL systems, one must
be aware of a number of atmospheric and instrumental
effects that can cause bias in the measurements,
including: scattering and extinction differences be-
tween on and off wavelengths; sensitivity of absorp-
tion and scattering to atmospheric temperature and
pressure; interference due to other absorbing species;
laser spectral characteristics; background radiation;
detection system noise, etc. A well-designed DIAL
system reduces these errors to a manageable, if not
insignificant, level. In some cases, these biases are
reduced or removed during data processing.

Use of Topographic Targets

When the DIALmeasurement does not have sufficient
atmospheric backscatter or range resolution for a gas
profile measurement, such as for a continuous-wave
laser or a low-pulse-energy laser in the infrared, a
topographic target may be employed to provide the
backscattered laser radiation. This results in a long-
path or column measurement of the gas. By using a
series of targets at different ranges, it may be possible
to obtain some range-resolved information. There are
several problems that have to be faced when using
topographic targets. One is that unless the target is
moving or being scanned, the measurement accuracy
will not increase rapidly with the number of pulses
averaged. Another concern is that there are sometimes
very sharp spectral changes in the reflection features of
the materials contained in the topographic targets.

Closely spaced DIAL wavelengths will help to reduce
any biases due to this effect.

Application Areas

The primary applications of the DIAL technique have
been in the areas of O3 andH2Omeasurements. These
gases are of great importance in such areas as
atmospheric chemistry, health, and weather, and they
are discussed in detail in this article. A number of other
gases have been or can be studied using the DIAL
technique.While H2Owas the first gas measured with
the DIAL technique (temperature-tuned ruby laser
lidar system in 1966), NO2 was the first pollutant gas
measured using this technique in the early 1970s.
Nitrogen dioxide is the only gas of interest with a
strong absorption band in the visible spectral region
(absorption features are in the blue region). However,
since NO2 occurs in low concentrations in most
situations, appearing at high concentrations only in
major pollutant plumes, there has not been significant
activity inmeasuring it usingDIAL. Sulfur dioxide has
been measured using dye lasers operating in the UV
spectral region near 300 nm, where it has a strongly
modulated absorption spectrum. The interest in SO2

was primarily related to emissions from power plants,
but there has also been some interest in SO2 emitted
from volcanoes. Mercury is another gas of interest.
Mercury has a strong absorption line near 254.3 nm,
and it is emitted from a number of sources including
chlorine-alkali plants, geothermal fields, volcanoes,
cinnabar mining areas, and from coal-burning power
plants. Hydrocarbons have seen some interest as well.
The absorption bands vary from near 300 nm for
benzene to 3.4 mm for methane and 10.5 mm for
ethylene. Other hydrocarbons can also be measured
in the 3.2–3.7mm and 9.3–10.7mm spectral regions.
Hydrocarbons have various urban/industrial sources,
and it can often be cost effective to use laser systems to
detect hydrocarbon gas leaks in industrial plants so
they can be eliminated. Ammonia is commonly found
near feedlots and other agricultural operations, and it
has absorption lines in the 9.3–10.7 mm spectral
region. Various laser sources can be used for the above
IR DIAL measurements including optical parametric
oscillators in the 3.2–3.7 mm spectral region and CO2

lasers in the 9.3–10.7 mm spectral region.
There is also increasing interest in the measurement

of CO2 due to its importance in global climate change
and the carbon cycle. The sources and sinks of
atmospheric CO2 are not well understood on a global
scale, and there is a need tomap the large-scale sources
and sinks of CO2, preferably from space. There are
candidate absorption lines in the 1.6 and 2mmspectral
regions, and solid state laser technology is being
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developed in these regions for possible space-based
DIAL systems. Carbon dioxide is difficult to measure
in part because it is a long-lived gas and it has a
relatively high ‘background’ concentration, which
does not vary much around the Earth. As a result,
the measurement accuracy and precision must be
extremely high for meaningful measurements. Also, it
is important to measure the atmospheric mixing ratio
of CO2, and thus it will be important to measure
atmospheric number density to convert DIAL-meas-
ured CO2 concentrations to mixing ratios. Both active
and passive remote sensing techniques are being
considered to derive accurate atmospheric number
densities.

Airborne DIAL Systems and
Applications

Determining the large-scale variations of O3 andH2O
is important to our understanding of a broad range of
atmospheric processes. For example,measurements of
O3 and H2O distributions can lead to an improved
understanding of the relative role of transport versus
photochemistry in the tropospheric O3 budget. Ozone
and H2O are important radiatively and contribute to
the radiation budget and climate change. Water vapor
is influential in many different meteorological proc-
esses and in the transport of energy on large scales. For
a better understanding of the atmosphere, it is impor-
tant to study the spatial and temporal variations of
these gases over many regions of the Earth and
ultimately be able to make measurements of them
from space.

Airborne O3 measurements

The first airborne DIAL system was flown for O3 and
aerosol investigations in conjunction with a large-
scale pollution field experiment conducted over the
east coast of the US in the summer of 1980. This initial
system evolved into the advanced UV DIAL system
that has been used in many field experiments over the
last two decades. A schematic of the UV DIAL system
is shown in Figure 2. This system uses two 30Hz,
frequency-doubled Nd:YAG lasers to sequentially
pump two dye lasers that are frequency-doubled into
the UV to produce on-line/off-line wavelength pairs of
288.2 nm 299.6 nm or 301 nm 310nm for DIAL O3

measurements in the troposphere and stratosphere,
respectively. The residual 1064 nm and 600 nm beams
from the frequency-doubling processes of theNd:YAG
and dye lasers, respectively, are also transmitted for
aerosol and cloud measurements. The parameters for
the NASA Langley airborne DIAL system are given in
Table 1. This system has a demonstrated absolute

accuracy forO3measurements of better than 10%or 2
ppb by volume, whichever is larger, and a measure-
ment precision of 5% or 1 ppb by volume with a
vertical resolution of 300m and an averaging time of
5min (about 70 km horizontal resolution at typical
aircraft ground speeds). An example of the O3

measurements made with this system is shown in
Figure 3. This figure shows a wide range of atmos-
pheric processes associated with the production and
transport of tropospheric O3 from the tropics to high
latitudes. The large latitudinal variation of the tropo-
pause height at about 100 ppb by volume is clearly
seen. The low O3 at low latitudes near the surface is
caused by photochemical loss, and the result of
convective cloud pumping of the low-O3 air into the
upper troposphere can also be seen in the tropics. At
mid-latitudes, the higher O3 is caused by a combina-
tion of photochemical production, horizontal trans-
port, and stratospheric–tropospheric exchange.

TheNASALangley airborneUVDIAL systems have
made significant contributions to the understanding
of O3 in both the troposphere and stratosphere.
They have been used in 19 international and three
national field experiments during the past 22 years,
and during these field experiments, measurements
were made over, or near, all of the oceans and
continents of the world. A map of the regions where
these airborne field experiments were conducted is
shown in Figure 4.

Airborne H2O Measurements

The first DIAL measurements of H2O with a contin-
uously tunable laser was demonstrated in the late
1970s. In an initial step towards the development of a
space-basedH2ODIAL system, the first airborneH2O
DIAL system was developed and demonstrated in
1982. This systemwas based onNd:YAG pumped dye
laser technology, and it was used in the first airborne
H2ODIAL investigation of themarine boundary layer
over the Gulf Stream. This laser was later replaced
with a flashlamp pumped solid state alexandrite laser,
which had high spectral purity (499%of laser energy
containedwithin a narrow, 1 pm, spectral region), and
this system was used to make accurate H2O profile
measurements across the lower troposphere under a
variety of atmospheric conditions. A third H2O DIAL
system called LASE (Lidar Atmospheric Sensing Ex-
periment) was developed as a prototype for a space-
based H2ODIAL system. This systemwas designed to
operate autonomously from a high-altitude ER-2
aircraft, and it uses a Ti:sapphire laser and from one
to three different H2O absorption cross-sections to
make H2O measurements across the entire tropo-
sphere. While the LASE system was initially designed
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for operation from the NASA high-altitude ER-2
aircraft, it was modified to also fly on conventional
medium-altitude aircraft.

The Ti:sapphire laser in LASE is pumped by
a double-pulsed, frequency-doubled Nd:YAG to
produce laser pulses in the 815 absorption band of
H2O. The wavelength of the Ti:sapphire laser is
controlled by injection seeding with a diode laser
that is frequency locked to an H2O line using an
absorption cell. Each pulse pair consists of an on-line
and off-line wavelength for the H2O DIAL measure-
ments. Operation of LASE on the side of the H2O
absorption line permits the use of the same H2O line
for different absorption cross-sections, and as a result
the DIALmeasurements of H2O can cover four orders
of magnitude of dynamic range. Table 2 give the
parameters of the LASE system. The accuracy of LASE
H2O profile measurements was determined to be
better than 6% or 0.01 g kg� 1, whichever is larger,
over the full dynamic range of H2O concentrations in
the troposphere. An example of LASE data obtained
with interleaved operation using two different H2O
absorption cross sections is shown in Figure 5. This
figure shows the H2O and aerosol/cloud variations
across a tropopause fold (top center of the figure) and
lifting of moisture along a front leading to cloud
formation near Wallops Island (right side). LASE has
participated in over nine major airborne field exper-
iments since 1995.

Space-Based DIAL Systems

The idea of putting DIAL systems in space has been
discussed since the late 1970s, and the initial emphasis
was on the measurement of H2O and O3. This
possibility became more likely with the successful
deployment of the first cloud and aerosol lidar system
on the space shuttle, LITE (Lidar In-space Technology
Experiment), in 1994. The rationale for putting DIAL
systems in space is to provide high vertical resolution
measurements of gases such as O3, H2O, and CO2

(along with aerosol and cloud measurements) across
the troposphere and O3 and aerosols across the
stratosphere.

Global O3 Measurements

Anumber of key global atmospheric science issues can
be addressed by a space-based O3 DIAL system,
including photochemical O3 production/destruction
and transport in the troposphere, stratosphere–trop-
osphere exchange, and stratospheric O3 depletion and
dynamics. High vertical resolution (2–3 km) tropo-
spheric O3 measurements from space are needed for
most of these studies, and this capability is not
available from current or planned passive remote
sensing satellites.

Figure 4 shows an example of the type of latitudinal
O3 cross-section that couldbe provided inonepass of a
space-based O3 DIAL system. Even with the DIAL

Table 1 Parameters of the NASA Langley airborne UV DIAL system

Transmitter

Lasers: Two Continuum Model ND 6000 flashlamp-pumped Nd:YAG and

Model 9030 dye lasers

Pulse energy (mJ) at: 1064nm 250–350

600nm 50–70

288/300nm 30

Pulse repetition frequency (each laser) (Hz) 30

Linewidth (nm) o0.1

Spectral purity (%) 499

Pulse length (ns) 8–12

Beam divergence (mrad) o1

Spectral separation of O3 DIAL wavelengths (nm) o12

Time separation of O3 DIAL wavelengths (ms) 300

Receiver Wavelength regions

288–300nm 580–600nm 1064nm

Area (m2) 0.086 0.086 0.086

Optical efficiency to detector (%) 31 40 31

Detector quantum efficiency (%) 26 (PMT) 8 (PMT) 40 (APD)

Field of view (mrad) r1.5 r1.5 r1.5

PMT, photomultiplier tube; APD, avalanche photodiode.
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system optimized for tropospheric O3 measurements
(see system description in Table 3), it would also
provide simultaneous high-resolution stratospheric

measurements of O3 (1 km vertical, 100 km horizon-
tal) and aerosols (100mvertical, 10 kmhorizontal). In
addition, these DIAL measurements will be useful in
assisting in the interpretation of passive remote
sensing measurements and in helping to improve their
data processing algorithms.

Figure 6 shows a simulation for expected mea-
surement uncertainties as a function of altitude
for an O3 DIAL system at an orbital altitude
of 400 km for the lidar parameters given in Table 3
using the US Standard Midlatitude O3 model.
In the middle of the stratosphere, where O3 number
densities are highest, the measurement uncertainty is a
minimumof about 2%. In the troposphere, it increases
to about 10% for altitudes below 6km, which is
similar to the performance of the airborne UV DIAL
system.

Global H2O Measurements

Water vapor andO3 are important to the formation of
OH in the troposphere, andOH is at the center ofmost
of the chemical reactions in the lower atmosphere. In
addition to influencing the production of OH, H2O is
an excellent tracer of vertical and horizontal transport
of air masses in the troposphere, and it can be used
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Figure 4 Average latitudinal O3 distributionmeasured by the airborneUVDIAL system over the western Pacific Ocean during the 1994

Western Pacific Exploratory Mission (PEM-West B).

Table 2 Parameters of the LASE H2O DIAL system

Transmitter

Laser: Double-pulsed Ti:sapphire

developed at NASA Langley

Wavelength region (nm) 813–818

Pulse energy (mJ) 100–150

Pulse-pair repetition frequency (Hz) 5

Linewidth (pm) o0.25

Stability (pm) o0.35

Spectral purity (%) 499

Beam divergence (mrad) o0.4

Pulse width (ns) 35

Spectral separation of H2O DIAL

wavelengths (pm)

r70

TimeseparationofH2ODIALwavelengths

(ms)
300

Receiver

Area (m2) 0.11

Optical efficiency to detector (%) 50 (night); 35 (day)

Filter bandwidth, FWHM (nm) 1.0 (night); 0.3 (day)

Detector quantum efficiency (%) 80 (APD)

Noise equivalent power (W Hz� 0.5) 2�10�14

Excess noise factor, APD 3

Field of view (mrad) 1.0
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as a tracer of stratosphere–troposphere exchange.
Increased aerosol sizes due to high relative humidities
can also affect heterogeneous chemical processes in

the boundary layer and in cloud layers. Thus, knowl-
edge of H2O distributions can be used in several
different ways to better understand chemical and

Table 3 System parameters and performance goals for space-based O3, H2O, and CO2 DIAL measurements from low Earth orbit

(400 km)

Parameters/Goals O3 DIAL H2O DIAL CO2 DIAL

Laser transmitter

Wavelength (l):lon/loff or l region (nm)

and Dl5 lon� loff (pm)

308/320 940 region Dlo70 2050 region

Dlo100

Pulse energy, each l (mJ) 500 500 1000

Pulse-pair rep. freq (Hz) 10 10 (2 lon’s) 10 (2 lon’s)
Linewidth (pm) 50 o1 o0.06

Spectral purity (%) 499 499 499.5

Beam divergence (mrad) o0.15 o0.2 o0.2

Pulse width (ns) 20 200 200

Receiver

Area (m2) 3.0 2.3 4.0

Field of view (mrad) 0.3 0.3 0.3

Filter bandwidth (night) (nm) 0.5 1.0 10

Overall optical efficiency (%) 40 65 60

Detector QE (%) 31 40 40

NEP (W Hz0.5) 10�15 10� 15 10� 15

Excess noise factor, APD N/A 3 3

Performance goals

Measurement accuracy (%) o10 o10 o0.3

Measurement resolutions (Dz km/Dx km)

Gases

Troposphere – night o2.5/200 o1/40 o4/500

Troposphere – day o3/300 o1/200 N/A

Stratosphere o1/100 N/A N/A

Aerosols

Troposphere 0.06/1 (2l) 0.06/1 0.06/1

Stratosphere 0.1/10 (2l) N/A 0.1/10
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Figure6 Simulations of expected space-basedO3DIALperformanceusing the parameters given inTable 3 and nighttimeand daytime

background conditions.
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transport processes that influence the composition of
the global troposphere.

The combination of active and passive measure-
ments can provide significant benefits for H2O,
temperature, aerosol, and cloud information. High
vertical resolution H2O (r1km), aerosol (r100m),
and cloud top (r50m) measurements from the lidar
along the satellite ground track can be combined with
the horizontally contiguous data from nadir passive
sounders to generate a more complete high-resolution
H2O, aerosol, and cloud field for use in the various
studies indicated above. There is also strong synergism
with aerosol and cloud imaging instruments and with
future passive instruments that are being planned or
proposed for missions addressing atmospheric chem-
istry, radiation, hydrology, natural hazards, and me-
teorology.

The technology for a space-basedH2ODIAL system
is rapidly developing in the areas of high-efficiency,
high-energy, high-spectral-purity, long-life lasers with
tunability in the 815 and 940 nm regions; low-weight,
large-area, high-throughput, high-background-rejec-
tion receivers; and high-quantum-efficiency, low-
noise, photon-counting detectors. Figure 7 shows
simulations of random errors for a space-based
940 nm H2O DIAL system at 400 km using the
parameters given in Table 3. The simulation uses
several lines in the 940 nm region that are chosen for
their different absorption cross-sections and low
temperature dependence. In the altitude range where
each cross-section is most sensitive, the random error
is less than 7%. Thus, using three interleaved lines, the
entire altitude range from near the surface to above
10 km can be covered to better than 10% accuracy.

With the expected advancements in lidar technologies,
a space-based H2O DIAL system could be flown on a
long-duration space mission before the end of the
decade.

Global CO2 Measurements

To fully understand the global atmospheric CO2

budget requires measurements of atmospheric CO2

profiles on continental and global scales that are not
currently available. The difficulty in making profile
measurements arises from CO2 exhibiting small var-
iations in concentration over large spatial scales.
High-precision global measurements of atmospheric
CO2 profiles from space are essential to deriving
global atmospheric CO2 flux distributions that are
needed to enhance the present understanding of
sources and sinks of CO2 in the atmosphere. To meet
the science objectives of understanding carbon cycle
processes, a CO2 measurement precision of about
1 ppm by volume over several altitude intervals in the
troposphere and total CO2 column measurements
with 1–2 ppm by volume precision is needed. This
represents a CO2 DIAL measurement accuracy of
about 0.3% for both range-resolved and column
measurements.

Emerging new technologies in lasers and near-IR
detectors have the promise tomake lidar active remote
sensing from space a viable technique for CO2

measurements. In particular the DIAL technique is
well suited for measuring atmospheric CO2 profiles
and column distributions. A CO2 DIAL system would
follow the heritage of the LASE system, which
operates on narrow H2O absorption lines. Advance-
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Figure 7 Simulations of expected space-based H2O DIAL performance using parameters in Table 3 with three interleaved lines and

nighttime background conditions.
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ments in narrowband tunable lasers near 2 mm and
developments of new antimonide-based (InGaAsSb)
APD detectors in the near IR are needed for a future
space-basedCO2DIAL.Carbondioxidemeasurement
simulations were conducted using the transmitter and
receiver parameters listed in Table 3. The transmitter
and receiver parameters are based on technology
developments that are in progress. Initial performance
simulations indicate that space-based CO2 DIAL
systems would meet or exceed the measurement goals
specified in Table 3.

Airborne DIAL systems are currently making sig-
nificant contributions to understanding O3, H2O,
aerosol, and cloud distributions in investigations of
atmospheric chemistry, dynamics, meteorology, and
radiative processes. While the use of airborne DIAL
systems is expected to continue to increase, these
systems cannot provide the global and temporal
coverage that a space-based DIAL system can. Signif-
icant progress has been made in identifying the system
requirements and enabling technologies needed for
space-basedDIAL systems, andprogress is beingmade
in their development. It is expected that DIAL systems
will be deployed in space for H2O, O3, and, possibly,
CO2 within the next decade.

See also

Aerosols: Physics and Chemistry of Aerosols. Biogeo-
chemical Cycles: Carbon Cycle. Boundary Layers:
Observational Techniques–remote. Carbon Dioxide.
Lidar: Atmospheric Sounding Introduction; Backscatter.
Middle Atmosphere: Polar Vortex. Observations for
Chemistry (Remote Sensing): Lidar. Optics, Atmos-
pheric: Optical Remote Sensing Instruments. Ozone:

Ozone Depletion; Photochemistry of Ozone. Strato-
sphere–Troposphere Exchange: Local Processes.
Tropospheric Chemistry and Composition: Aero-
sols/Particles.
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Introduction

The Doppler effect, in which radiation scattered or
emitted from a moving object is shifted in frequency
owing to themovement of the object, canbe utilized by
specially designed lidar systems to measure atmos-
pheric motions, including winds. Atmospheric Dop-
pler lidars operate by irradiating a volume of
atmosphere with a pulse of very narrowband, laser-
produced radiation, then detecting the change in

frequency of the radiation backscattered from atmos-
pheric aerosol particles or molecules present in the
volume. The technique is directly analogous to that
employed inDoppler weather radars, except that lidar
wavelengths are 3–4 orders of magnitude shorter,
which leads to some important differences between
radar and lidar characteristics. Because radiation at
wavelengths in the optical region of the spectrum is
efficiently scattered by aerosols and molecules, Dop-
pler lidars do not require the presence of hydrometeors
or insects to obtain useful results. Optical radiation
can be tightly focused, virtually eliminating ground
clutter and enabling lidar probing of volumes towithin
a fewmeters of terrain or structures.However, because
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optical radiation is severely attenuated by cloud water
droplets and fog,Doppler lidars do not typically probe
into or beyond most atmospheric clouds F the one
exception being tenuous ice clouds such as cirrus,
which often are characterized by low optical extinc-
tion and high backscatter, making them excellent lidar
targets.

The characteristics of Doppler lidar make the
techniquewell suited tomaking detailedmeasurement
of wind flows for a wide variety of applications. Lidar
beams can easily be scanned to characterize motions
within very confined three-dimensional spaces such as
shallow atmospheric boundary layers, narrow can-
yons, and turbulent structures. Doppler lidar has also
been proposed as a satellite-based technique for
obtaining global measurements of atmospheric wind
fields. By scanning a lidar beam from an orbiting
satellite and analyzing backscattered returns from
clouds, aerosols, and molecules, a satellite-based
instrument could provide importantwind information
for numerical forecast models.

Basic Principles

The Atmospheric Backscattered Signal

As laser light propagates through the atmosphere, a
portion of the incident energy is scattered by the
atmospheric molecules and constituents through
which the light passes. In lidar applications, the light
backscattered (scattered directly back toward the
source) is collected and analyzed. The backscattering
properties of an atmospheric particle depend on the
refractive index, shape, and size of the scattering
particle. If the particle is much smaller than the
wavelength of the incident radiation, as is the case for
laser radiation scattered by atmospheric molecules,
the scattering process is characterized as Rayleigh
scattering. In the Rayleigh scattering regime, the
energy backscattered by a particle increases propor-
tionally with the inverse of the fourth power of the
wavelength. Consequently, Doppler lidar systems
designed for molecular scatter can take advantage of
significantly increased backscattered signal intensity
by operating at shortwavelengths.MolecularDoppler
lidar systems typically operate in the visible or
ultraviolet spectral regions.

Aerosol particles, the other component of the
atmosphere that scatters laser light, result in Mie
scattering, which is the more generalized scattering
case that applies when the diameter of the scatterers is
not orders of magnitude smaller than the incident
wavelength. Aerosol particles include dust, soot,
smoke, and pollen, as well as liquid water and ice.
Although in Mie scattering the relationship between

the power backscattered by an ensemble of aerosol
particles and the incident wavelength is not simply
characterized, most studies have shown that Mie
backscatter in the atmosphere increases roughly with
the first or second power of the inverse of the incident
wavelength. In a high aerosol environment, such as in
the vicinity of urban areas, an abundance of large
particles often results in a roughly linear variation
between the inverse of the incidentwavelength and the
backscattered energy. In more pristine environments,
such as the free troposphere, the inverse wavelength/
backscatter relationship can approach or exceed a
square-law relationship.

The primary objective inDoppler lidar is tomeasure
the Doppler frequency shift of the scattered radiation
produced by themovements of the scattering particles.
Figure 1 shows a typical spectrum of the radiation
collected at the lidar receiver for a volume of atmos-
phere irradiated by a monochromatic laser pulse.
Molecular scattering produces the broadband distri-
bution in Figure 1, where the broadening results from
the Doppler shifts of the radiation backscattered from
molecules moving at their thermal velocities. The
width of the molecular velocity distribution in the
atmosphere ranges from about 320 to 350m s�1,
scaling as the square root of the temperature. In the
center of the spectrum is a much narrower peak
resulting from scattering of the light by aerosol
particles. Since the thermal velocity of themuch larger
aerosol particles is very low, the width of the distri-
bution of the aerosol return is determined by the range
of velocities of particles moved about by small-scale
turbulence within the scattering volume. This is
typically on the order of a few meters per second.
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Also shown in Figure 1 is an additional broadband
distribution due to scattered solar radiation collected
at the receiver. If the laser source is not monochro-
matic, the backscattered signal spectrum is addition-
ally broadened, with the resulting spectrum being the
convolution of the spectrum shown in Figure 1 with
the spectrum of the laser pulse. As seen in the figure,
the entire spectrum is Doppler-shifted in frequency,
relative to the frequency of the laser pulse. The object
of a Doppler lidar system is to measure this Doppler
shift, given by df ¼ 2vrad=l, where vrad is the compo-
nent of the mean velocity of the particles in the
direction of propagation of the lidar pulse and l is the
laser wavelength.

The relative intensity of the scattered aerosol and
molecular returns shown in Figure 1 varies consider-
ably as a function of laserwavelength and atmospheric
turbidity. For lidar applications, molecular scatter is
very strong at ultraviolet lidar wavelengths, decreas-
ing as the fourth power of the wavelength until it is
mostly negligible at wavelengths beyond about 1 mm.
Because most aerosol scattering is Mie scatter, which
has a much weaker dependence on the laser wave-
length, the ratio of molecular to aerosol scattered
radiation decreases for longer wavelengths.

Components of a Doppler Lidar

Doppler lidar systems can be designed primarily to
measure winds from aerosol-scattered radiation, or
from molecule-scattered radiation, or from both. The
type of system places specific requirements on the
primary components that comprise a Doppler lidar
system. A Doppler lidar is typically made up of a laser
transmitter to produce pulses of energy that irradiate
the atmospheric volume of interest; a receiver that
collects the backscattered energy and estimates the
backscattered energy and Doppler shift of the return;
and a beam-pointing mechanism that directs the
transmitter and receiver together in various directions
to probe different atmospheric volumes and measure
different components of the wind. Whether the
primary scatterers are molecules or aerosol particles,
in a Doppler system the system design criteria
are driven by a fundamental relationship between
the error in the estimate of mean frequency shift df1,
the bandwidth of the return f2, and the number of
incident backscattered photons detected N, as in
eqn [1].

df1 / f2
N1=2

½1�

Thus, the precision of the velocity estimate is always
enhanced by an increase in the number of detected

signal photons and/or a decrease of the bandwidth of
the backscattered signal. From the equation, it is
obvious that a significantly greater number of photons
is required to achieve the same precision in a Doppler
measurement from a molecular backscattered signal,
characterizedbyhigher bandwidth f2, compared to the
number required in an aerosol Doppler instrument.
The improved measurement precision gained by a
narrow-bandwidth return also implies that the trans-
mitter in aDoppler lidar system should be designed for
narrow spectral width (typically on the order of the
Doppler shift to be measured), and, as in most lidar
systems, maximum transmitted energy. The need for a
narrowband laser pulse has a strong effect on the laser
performance requirements, and usually results in a
transmitter that is more complex than the transmitter
in a simple aerosol backscatter lidar. Injection seeding,
in which a small amount of power from a separate
laser is injected into the laser transmitter optical cavity
to ‘seed’ the laser into operating at a single frequency,
is used to produce the required narrow-bandwidth
laser pulses in Doppler lidar instruments.

The lidar receiver gathers the backscattered photons
and extracts the wind velocity as a function of the
range to the scattering volume by analyzing the return
as a function of time. This requires a telescope, to
gather and focus the scattered radiation, and a system
element that analyzes the scattered radiation to
compute the Doppler shift. The frequency analysis
function in aDoppler lidar receiver is carried out using
one of two fundamentally different techniques: coher-
ent detection (also known as heterodyne detection) or
direct detection (alternatively labeled incoherent de-
tection). The techniques differ fundamentally. In a
heterodyne receiver, local oscillator laser radiation is
mixed with the backscattered radiation at an optical
detector, and the detector output signal is digitized and
spectrally processed. A direct detection lidar employs
an interferometer to optically analyze the backscat-
tered radiation.

Coherent Doppler Lidar

Description

Coherent or heterodyne lidar is implemented by
optically mixing the backscattered laser light with
radiation from a continuous-wave, local oscillator
(LO) laser whose wavelength is precisely controlled to
be equal to, or at a known displacement from, that of
the laser transmitter (Figure 2). The mixing process at
the face of an optical detector generates an electrical
signal with a frequency equal to the difference
frequency between the backscattered signal and the
LO laser signal. This signal is typically digitized and
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processed as a function of time, using digital signal
processing techniques, to obtain an estimate of the
range-dependent mean frequency shift of the back-
scattered signal, from which the radial wind compo-
nent can be derived. A characteristic of coherent lidar
is that single pulse returns, evenwith high signal levels,
are characterized by random fluctuations in the
backscattered field and the resulting frequency spec-
trum. Consequently, averaging of multiple pulses
usually is employed to increase the accuracy of the
mean frequency estimate.

The optical mixing process that is fundamental to
coherent Doppler lidar provides both benefits and
design challenges. Receiver efficiencies (measured as
equivalent fraction of incident photons converted to
electrons) are quite high, meaning that wind velocities
can be estimated from weak backscattered signals.
Also, because signal processing is performedon a time-
series derived from the mixed signal, receiver band-
widths can be made extremely narrow, effectively
eliminating the broadband solar background light as a
major source of noise. Thus, unlike that of many
lidars, coherent Doppler lidar performance is not
degraded under daylight conditions. However, the
added photon noise from the local oscillator radiation
results in a system noise threshold below which very
weak signals cannot practically be extracted, even
with substantial multiple-pulse averaging. Because
efficient mixing requires phase coherence of the
backscattered signal field across the detector, coherent
lidar performance at longer ranges can be degraded by
strong optical turbulence along the path of the laser
pulse. Turbulence effects are more pronounced at
shorter wavelengths.

CoherentDoppler lidar systems generally operate in
the eye-safe, infrared portion of the spectrum at
wavelengths longer than 1.5 mm. Currently, the two
most common system wavelengths for coherent lidar
wind systems are in atmospheric window spectral
regions around 2.0 mm and 10.6 mm. Early coherent

Doppler lidar measurements, beginning in the 1970s,
employed CO2 laser transmitters and local oscillators
operating at wavelengths near 10.6 mm. Pulsed CO2

laser transmitters with as much as 10 J of energy have
since been demonstrated, and systems with 1 J lasers
are still routinely used for atmospheric probing to
ranges extending to 30 km or more. In the late 1980s
solid-state laser transmitters operating near 2 mm
wavelengths were introduced into coherent lidar
wind-measuring systems. The compact size and po-
tential reliability advantages of solid-state transmit-
ters, in which the transmitter laser is optically pumped
by an array of laser diodes, provide advantages over
older CO2 laser technology. Also, because the range
resolution obtainable for a given measurement accu-
racy scales with wavelength, 2 mm instruments are
characterized by better range resolution than their
10 mm counterparts, and hence have enhanced ability
to probe small-scale features. However, although
development of high-energy laser sources operating
in the 2 mm region is currently an active research area,
lasers with pulse energies greater than several tens of
millijoules have yet to be incorporated into laser
systems.

Applications of Coherent Doppler Lidar

Coherent lidars have been employed tomeasurewinds
for a variety of applications, and from an assortment
of platforms, such as ships and aircraft. Since these
lidars operate in the infrared, where aerosol scattering
dominates molecular scattering, they require aerosol
particles to be present at some level to obtain usable
returns. Although clouds also provide excellent lidar
targets, most of the more useful applications of
coherent lidars have been associated with probing
the atmospheric boundary layer or lower troposphere,
where aerosol content is highest. One of the special
applications of lidar probing is measurement of wind

Photodetector

Local
oscillator

Telescope

Scattered
radiation

Beam splitter

Figure 2 Schematic of coherent detection of backscattered radiation.
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structure and evolution in complex terrain such as
mountains and valleys. Over the past 20 years, results
of Doppler lidar studies have been used, for example,
to characterize the intensity and structure of damaging
downslope windstorms in the lee of mountain ranges,
advection of pollution by drainage flows in valleys,
and formation of mountain leeside turbulence as a
potential hazard to landing aircraft. An example of the
capability of Doppler lidar to probe complex terrain is
shown in Figure 3, inwhich the advance of a cold front
northward during a southerly foehn wind event in the
Austrian Alps is clearly indicated. Such measurements
are studied to improve understanding of the mecha-
nisms associatedwith the onset and evolution of severe
wind events.

Because coherent Doppler lidars are also well
matched to applications associated with probing
small-scale, turbulent phenomena, they can be applied
to improving aviation safety. Doppler lidars have been

deployed in the vicinity of airports to detect and track
wing tip vortices generated by arriving or departing
aircraft. In the future, a network of ground-based
lidars to provide information on vortex location and
advection speed could decrease congestion at major
airports by increasing landing and takeoff capacity.
Also, compact lidar systems deployed on research
aircraft have detected wave structures ahead of the
aircraft associated with potentially hazardous clear-
air turbulence. Doppler lidar installed on the com-
mercial aircraft fleet might be able to look ahead
and provide a warning to ensure that passengers
have their seat belts fastened before the turbulence is
encountered.

The high resolution obtainable in a scanning
lidar can produce informative images of the details
of small-scale phenomena. Figure 4 shows an
image of a shallow wave associated with a low-level
nocturnal stable layer structure just 50m above the
surface obtained using a scanning 2.02 mm Doppler
lidar. Similar images taken during different evenings as
part of the same experiment illustrated markedly
different characteristics, such as much more turbu-
lence along the interface. Such observations enable
researchers to improve models and better understand
the conditions associated with vertical turbulent
transport and mixing of atmospheric constituents
such as pollutants.
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Direct Detection Doppler Lidar

Description

Direct-detection, or incoherent, Doppler lidar has
received significant attention in recent years as an
alternative to coherent lidar for atmospheric wind
measurements. In contrast to coherent lidar, in which
an electrical signal is processed to estimate Doppler
shift, an optical interferometer, usually a Fabry – Perot
etalon, serves as the principal element in a direct-
detection lidar receiver for determining the frequency
shift of the backscattered radiation.

One implementation of a direct-detection Doppler
lidar receiver is the ‘fringe imaging’ technique. In this
design, the interferometer acts as a spectrum analyzer.
Thebackscatter radiation is directed through aFabry –
Perot interferometer, which produces a ring pattern in
the focal plane (Figure 5). The spectral content
information of the incident radiation is contained in
the radial distribution of the light. Each ring corre-
sponds to an order of the interferometer and is
equivalent to a representation of the backscattered
signal frequency spectrum. As the mean frequency of
the backscattered radiation changes, the rings move
inward or outward from the center. To extract the
spectrumof the backscattered light, one ormore of the
rings are imaged onto amultielement detector, and the
resulting pattern is analyzed.

An alternative direct detection receiver configura-
tion employs two interferometers as bandpass filters,
with the center wavelengths of respective filters set
above and below the laser transmitter wavelength, as
shown in Figure 6. The incoming radiation is split
between the two interferometers, and the wavelength
shift is computed by comparing the radiation
transmitted by each interferometer. This method,
sometimes called the ‘double edge’ technique, has
been used to measure winds to heights well into the
stratosphere. Themajor challenge associatedwith this
implementation of a direct detection receiver is
optimizing the instrument when both aerosol-scat-

tered and molecular-scattered radiations are present,
since in general the change in transmission as a
function of velocity is different for the aerosol and
molecular signals.

For both types of direct-detection receiver configu-
rations described above, a portion of the radiation
incident on the interferometer is reflected out of the
system, reducing the overall efficiency of the receiver.
Recently, designs that incorporate fiber optics to
collect a portion of the reflected radiation and recycle
it back into the etalon have been proposed as a way to
reduce receiver losses.

Doppler Measurements Based on Molecular
Scattering

One of the primary advantages of direct-detection
Doppler lidar is the capability formeasurements based
on scatter from atmospheric molecules. Measurement
ofDoppler shifts frommolecular scattered radiation is
challenging because of the large Doppler-broadened
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Etalon

Fiber optic input

Figure 5 Schematic of Fabry – Perot etalon in a direct-detection, fringe-imaging lidar receiver. (Courtesy P. Hays,Michigan Aerospace

Corporation.)
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bandwidth of the return. Typically, one wants to
measure a mean wind velocity with a precision that is
much less than the velocity standard deviation of
320m s�1. This requires a large number of photons.
As an example, more than 105 photons must be
detected to achieve a measurement precision of a few
m s�1 from molecular-scattered radiation, which
typically requires some combination of multiple pulse
averaging, powerful lasers, and large receivers for the
lidar system.

This need to collect and detect large numbers of
photons also means that molecular Doppler measure-
ments are made at short wavelengths where scatter is
strongest.Molecular-scatter windmeasurements have
been demonstrated in the visible spectral region at
532 nm wavelength and at 355 nm in the near ultra-
violet. The ultraviolet region has the dual advantages
of enhancedmolecular scatter and less-restrictive laser
eye-safety restrictions. Figure 7 shows the time series
of a wind profile measured throughout the tropo-
sphere using a molecular-scatter, ground-based Dop-
pler fringe-imaging lidar operating at 532 nm. The
figure also shows measurements from a second
receiver channel in which the interferometer design
was optimized for the more narrowband aerosol
return. For thismeasurement, returns from500pulses,
each with 400mJ of energy, were collected by a 0.5m
receiver aperture and processed.

Heterodyne and Direct-Detection
Doppler Trade-offs

Lively debates within the lidar community have taken
place over the past decade regarding the relativemerits
of heterodyne versus direct-detection Doppler lidars.
To a large extent, the instruments are complementary.
Generally, heterodyne instruments are quite sensitive
for measurements when significant aerosols are
present. Processing techniques have been developed
that can produce accurate wind measurements rates
using only a few lidar pulses, such that several wind
observations per second can be obtained. This inher-
ent sensitivity has enabled numerous applications in
which a lidar beam has been scanned rapidly over a
large volume to obtain time-varying, three-dimen-
sional wind measurements. Heterodyne lidars also
operate in the eye-safe infrared portion of the spec-
trum, which is highly advantageous for general
atmospheric research and field studies.

The primary advantage of direct-detection instru-
ments is their demonstrated capability to measure
winds from molecular-backscattered returns in the
middle and upper troposphere. In pristine air, direct
detection offers the only method for long-range wind
measurements, even though significant averagingmay
be required. Direct-detection lidars are also not
degraded by atmospheric refractive turbulence. From
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an engineering perspective, optical system specifica-
tions for direct detection systems tend to be somewhat
less demanding. For optimum performance, a hetero-
dyne lidar requires a very pure laser pulse and a
diffraction-limited receiver field of view that is
matched to and precisely aligned with the transmitted
beam. The requirements for direct detection are more
relaxed, such that a somewhat wider bandwidth
transmitter and a receiver field of view several times
diffraction-limited is sufficient. In direct-detection
lidars, the field of view is typically constrained by the
need to limit background light for daytime operation.
The major design challenge for direct detection
instruments is associated with maintaining stability
of the Fabry – Perot etalon over a range of tempera-
tures and in high-vibration environments.

Global Wind Measurements

A satellite-based Doppler lidar has frequently been
proposed as a way of measuring wind fields over most
of the Earth. At present, wind profiles are not well
measured from orbiting platforms. Measurement of
winds is especially important over regions of the Earth
that are not currently well sampled, such as over
Northern Hemisphere oceans, as well as over most of
the tropics and the SouthernHemisphere.Windprofile
information is currently obtained from radiosondes
and by tracking cloud and water vapor inhomogenie-
ties using satellite imagers. Doppler lidar wind meas-
urements could greatly augment the current data set by
providing wind estimates throughout the troposphere
under clear conditions, and strongly height-resolved
observations down to cloud topswhen cloud decks are
present. Observing system simulation experiments
conducted in recent years indicate that satellite-based
lidar global wind measurements could lead to a
significant improvement in long-term forecast skill if
the wind fields can be observed with sufficient accu-
racy and spatial resolution.

Figure 8 shows an artist’s concept of a shuttle-based
wind lidar mission. In an operational mission, a
satellite carrying the lidar would be placed in a polar
orbit. The pulsed laser beam is scanned conically from
nadir to obtain different components of the wind
velocity. The scanning can be either continuous or
‘stop and stare’. After sufficient returns are averaged to
produce an acceptable estimate, the radial component
of the velocity is computed, which would most likely
be assimilated directly into numerical forecastmodels.

Doppler lidar measurement of winds from space is
theoretically feasible but technologically difficult.
Depending on the orbital height, the scattering volume
is anywhere from 450 to about 850 km from the
satellite, which challenges the sensitivity of current

system types. Because weight and power consumption
are critical parameters for space-borne systems, tele-
scope diameter and laser power cannot easily be
increased to obtain the necessary sensitivity. Similarly,
the ability to average returns from multiple pulses is
also limited. The satellite moves at about 7 km s�1;
therefore, in order to obtain measurements over a
horizontal distance of 300 km (the resolution of the
radiosonde network), only about 45 s are available to
make observations from the multiple look angles
needed for a useful measurement. It should be also
noted that, as a result of the high orbital velocity of the
satellite, the precision and knowledge of beam point-
ing is extremely critical for measurements from
satellites. For a lidar operating with a nadir angle of
451, an error in the pointing knowledge of just 1mrad
results in an error of about 5m s� 1 introduced into the
measured radial component of thewind by the satellite
motion.

Despite the challenge of employing a Doppler lidar
for satellite-based wind measurements, efforts are
continuing to develop the appropriate technology and
to assess the impact of the observations. The European
Space Agency is planning a Doppler wind lidar
demonstration mission for the late 2000s that would
incorporate a nonscanning, direct-detection instru-
ment. Doppler lidar technology research and simula-
tion experiments aimed at satellite-basedwind sensing
continue at several research centers within the United
States, Europe, and Japan.

Figure 8 Concept for a demonstration wind lidar mission from a

shuttle orbiter. In an operational mission, the lidar would be

deployedonapolar-orbitingsatellite for global coverage. (Courtesy

M. Kavaya, NASA.)
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Introduction

Optical techniques for remote sensing of the atmos-
phere have existed for many decades. In the 1930s,
Hulburt usedmechanically chopped searchlights as an
optical source and a telescope as the receiver to
measure atmospheric signals to 28 km. In the 1950s,
Elterman used the same searchlight technique to
derive atmospheric temperature to altitudes in excess
of 60 km. TheodoreMaiman’s invention of the laser in
1960 created a new optical source, enabling the
development of lidar and revolutionizing the field of
remote sensing.

Lidar stands for light detection and ranging, and
is used to describe the use of laser radiation to
make remotemeasurements of the atmosphere, ocean,
or hard target where the backscattered signal is
collected by use of a telescope. Some significant early
achievements are summarized in Table 1. Following
these early efforts, researchers soon broadened the
range of phenomena used for laser remote sensing by
using the Raman effect to study molecular species

remotely. Raman lidar technology can be used to
provide scientifically meaningful measurements of a
wide variety of atmospheric quantities including
temperature, ozone and aerosol size. The presentation
here will focus on the use of Raman lidar in the
measurement of water vapor, aerosols and cirrus
clouds.

Raman Scattering

In 1921, Chandrasekhara V. Raman and his students
began investigating the light scattering properties of
various substances. Their experiments were carried
out at the University of Calcutta in India, where
Raman held an endowed chair in physics. These
investigations led to the discovery of a very weak type
of secondary light that is generated at wavelengths
shifted from the incident wavelength. Initially they
used filtered sunlight as the source and the shifted
wavelengths were observed by eye. Raman soon
realized that they were observing a completely new
scattering phenomenon of fundamental importance.
They found that the frequency shifts, their relative
intensities, and the state of polarization were
independent of the exciting radiation. The frequency
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shifts observed were attributed to the frequencies
of oscillation of the atomic bonds in a molecule.
Raman was awarded the Nobel Prize for his work in
1930.

A quantum mechanical description of the Raman
scattering process (Stokes shift) involves a transition
from an initial state of energy Ei to an inter-
mediate state, known as a virtual state, prior to the
transition to the final state Ef. This is shown in the
Figure 1 where both Stokes and anti-Stokes Raman
scattering are shown. After a Stokes scattering event,
the system is left in a higher energy state so that the
scattered photon is of longer wavelength (lower
energy) than the incident photon. In anti-Stokes

scattering, the final energy state is lower than the
initial state.

The Raman Lidar Technique

The Raman lidar technique entails measuring the
rotational or vibrational–rotational component of
Raman scattering from the atmosphere. This ap-
proach has proven to be a highly versatile one
permitting a wide variety of atmospheric studies to
be performed. Water vapor, nitrogen, and oxygen are
molecules of interest in the normal atmosphere that
exhibit convenient vibrational Raman shifts. These

Table 1 Early developments in the history of lidar

Event Date Researchers Comments

Laser invented 1960 Maiman

First laser remote sensing measurements

– echos from the moon

1962 Smullin and Fiocco

Invention of the Q-switch 1962 McClung and

Hellwarth

Permitted much higher power levels

making atmospheric measurements

feasible

First atmospheric laser remote sensing

measurements

1963 Fiocco and Smullin First atmospheric lidar measurements

closely followed the invention of the Q-

switch

First differential absorption lidar (DIAL)

measurements of water vapor

1966 Schotland DIALmeasurementsof atmosphericwater

vapor preceded Raman lidar

measurements of water vapor

First measurement of the atmospheric

sodium layer using resonance lidar

1968 Bowman et al.

E i

Ef Ef

E i E i

E f

h�i

h�f

h�i h�ih�f h�f

Stokes radiation Anti-Stokes radiation

Virtual
level

Figure 1 Schematic diagrams of both Stokes and anti-Stokes Raman scattering. Stokes scattering is the predominant phenomenon

observed in the atmosphere. This results in a scattered photon of lower energy and thus longer wavelength than the incident. Anti-Stokes

scattering results in a higher energy or shorter wavelength photon being scattered.
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shifts are approximately 3657, 2331, and 1556 cm� 1,
respectively. A spectrum of Raman scattering (Stokes
shift) from the normal atmosphere is shown in
Figure 2.

The Standard Raman Lidar Equation

The standard single scattering Raman lidar equation
can be expressed as in eqn [1].

P lX;r

� � ¼OX rð ÞP0 lLð ÞNX rð Þ ½dsX lL; pð Þ=dO�A x lXð Þ
r2

� exp �
Z r

0

½aðlL; r0Þ þ aðlX; r0Þ�dr0
� �

½1�

Here P lX;r

� �
is the background subtracted power

received at theRaman-shiftedwavelength appropriate
formolecular speciesX as a function of range, r.OXðrÞ
is the channel overlap function, and P0ðlLÞ is the
output power of the laser at the laser wavelength, lL.
NX rð Þ is the number density of molecules and
dsXðlL; pÞ=dO is the Raman differential backscatter
cross-section at the laser wavelength. x lXð Þ is the total
lidar receiver optical efficiency at the wavelength of
theRaman species of interest and includes factors such
as the reflectivity of the telescope, the transmission of
any conditioningoptics, the transmissionof anyfilters,
and the quantum efficiency of the detector. A is the
receiver telescope area. The exponential factor gives

the two-way atmospheric transmission,where aðlX; rÞ
is the total extinction coefficient due to scattering and
absorption by molecules and aerosols at the Raman-
shifted wavelength as a function of range along the
path of the laser beam. In this context, the term
‘aerosols’ may be used to describe any nonmolecular
atmospheric constituent such as dust, water droplets,
ice crystals, etc. This equation uses the simplifying
assumption that the Raman scattered signals are
monochromatic.

The Raman effect has been used to great effect in
laboratory studies of various materials. Since the
advent of the laser, it has also been used for atmos-
pheric studies. Table 2 presents a chronological list of
various milestones in the history of Raman lidar
measurement capability. As an illustration of the
Raman lidar technique for measuring water vapor,
aerosols, and clouds, the measurement capability of a
single Raman lidar system will now be illustrated.

The NASA/GSFC Scanning Raman
Lidar

The NASA/GSFC scanning Raman lidar (SRL) is
housed in a singlemobile trailer and contains a 0. 76m
telescope, two lasers (XeF excimer (351 nm) and a
tripled Nd:YAG (355 nm)), various wavelength-selec-
tion optics and combined photon counting and analog
data acquisition electronics. The trailer also provides

340 350 360 370 380
Wavelength (nm)

Rayleigh and
Mie scattering

0.6 nm

Slit width

CO2 O2

N2

H2O

Figure 2 Measured spectrum of Raman-shifted and unshifted backscatters from the normal atmosphere. (Redrawn with permission

from Ianaba and Kobayashi (1972).)
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laboratory space for new experiment development as
well as workspace for up to three analysts. The system
is designed to measure the Raman scattering from
water vapor, liquid water, nitrogen, and oxygen. In
addition, the Rayleigh–Mie signal is measured as well.
A large mirror enables full aperture scanning within a
single plane perpendicular to the trailer axis. The
scanning capability is used to assess horizontal vari-
ability of various constituents aswell as to improve the
retrieval of scientific quantities in the lowest part of the
atmosphere. The data are typically acquired with

1min temporal resolution and 7.5m vertical resolu-
tion. Some of the basic measurement capabilities of
this system will now be illustrated.

Measurements

Water vapor The water vapor mixing ratio is
defined as the ratio of the mass of water vapor to
themass of dry air in a given volume. Themixing ratio
is conserved in atmospheric processes that do not
involve condensation or evaporation, and thus

Table 2 History of atmospheric measurements using Raman Lidar

Event Measurement

date

Publication

date

Researchers Comments

Earliest claimed

measurement

of Raman scattering

(nitrogen) from the

atmosphere

1966 1968 Cooney

Measurement of Raman

scattering from oxygen

and nitrogen

1967 1967 Leonard Definitive evidence of measurements provided

by photographs of oscilloscope traces

Water vapor

measurements:

Cooney 1969 1970 Cooney

Melfi 1969 1969 Melfi

MobileRaman lidar capable

of remote measurement

of pollutants in smoke

stacks and automobile

exhaust

1969, 1972 1969, 1972 Inaba and Kobayasi Clear atmosphere measurements presented

showing Rayleigh/Mie and Raman N2, O2,

CO2, H2O. Polluted samples show various

hydrocarbons along with liquid water.

Atmospheric temperature

using vibrational–

rotational Raman

scattering

1971? 1971 Strauch et al. Correlated temperature variations measured at

the top of a 30-m tower and Raman

backscatter

Atmospheric temperature

using pure rotational

Raman scattering

1973? 1973 Salzman and Cooney Separated the anti-Stokes component of pure

rotational scattering into two bands with

differing temperature sensitivities

Remote measurement of

water temperature

1976 1977 Leonard Sea water temperature quantified at a depth of

1m

Evolution of boundary

layer water vapor

1977 1979 Pourney et al.

Daytime water vapor

measurements

1979? 1980 Renaut et al.

Evolution of tropospheric

water vapor

1985 1985 Melfi and Whiteman Firstmeteorologicallymeaningfulmeasurements

of tropospheric water vapor evolution

Aerosol extinction, optical

depth

1990? 1990 Ansmann

Stratospheric ozone in the

presence of aerosols

1993? 1993 McGee et al. Raman extension used to the differential

absorption technique to permit quantification

of ozone in the presence of stratospheric

aerosols due to the eruption of Mount

Pinatubo in 1991

Automated measurements

of water vapor and

aerosols

1998 1998 Goldsmith et al.

Multi-wavelength

determination of aerosol

size and refractive index

1997 2000 Müller et al.
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serves well as a tracer of themovement of air parcels in
the atmosphere. It can be calculated from a ratio of
Raman lidar signals for water vapor and nitrogen
using eqn [1] above.

During April 1994, the SRL participated in the first
intensive field campaign sponsored by the US Depart-
ment of Energy’s Atmospheric Radiation Measure-
ments (ARM) program at their northern Oklahoma
Cloud and Radiation Testbed site. The SRL was
operated for approximately 9 h on the night of 21
April during this field campaign. Figure 3 shows the
SRL water vapor mixing ratio measurements (1min
summation of lidar data) compared with a radiosonde
measurement made at 0535 UTC. The agreement is
excellent. The figure indicates that the atmospherewas
relatively well mixed up to an altitude of approxi-
mately 2 km. Above this altitude there was abrupt
drying. Cirrus clouds were present during the entire
evening as well.

A color image of water vapor evolution can
be created by combining the vertical lidar
profiles into a time–height image. The result is shown
in Figure 4. This image reveals that the water vapor
field showed variations in the regions below 2km
throughout the night. Furthermore, the dry
slot located just above this mixed layer generally
rose in altitude during the night from approximately
2.2 km at 0230 UTC to 2.7 km at 1100 UTC.
Above the dry slot, the atmosphere was quite stable
throughout the night.

Aerosols The corresponding aerosol scattering
ratio image from the night of 21 April 1994 is
shown in Figure 5. The aerosol scattering ratio is
used to quantify the ratio of aerosol to molecular
scattering. It is defined as the ratio of the volume
backscatter coefficients for total (molecular1aerosol)
scattering to pure molecular scattering. The vertical
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scale has been expanded to 15 km in altitude, allowing
the evolution of aerosols at all levels of the
troposphere to be studied. In the aerosol field,
the dry slot that was revealed in the water vapor
field is seen as a decrease in the scattering ratio
indicative of reduced aerosol loading. A comparison
of the water vapor and aerosol images would tend
to indicate that below a mixing ratio value
of approximately 6.5 g kg� 1 the aerosol scattering
ratio was less than approximately 1.05. This
creates the apparent increase in the dry slot at 0800
UTC as revealed in the aerosol scattering ratio image.
Cirrus clouds formed in the upper troposphere on this
night as well. The evolution of cirrus cloud structure
can be studied over the course of the night using
Raman lidar imagery as shown here. The bases of the
cirrus cloudswere as lowas 9 kmwhile the tops rose to
approximately 12.5 km. As will be show later the
cirrus cloud optical depth can also be quantified using
Raman lidar.

By analyzing the slope of the Raman nitrogen or
oxygen signal, the extinction due to aerosols can be
quantified. Aerosol optical depth can be obtained by
integrating aerosol extinction with range. The Raman
lidar is able to simultaneously quantify aerosol
extinction and aerosol backscattering in the same

atmospheric volume. When these quantities are
studied along with the relative humidity (calculated
from the Raman lidar water vapor mixing ratio using
a temperature profile obtained from radiosonde),
changes in aerosol optical properties due to
hygroscopic growth of the aerosol particles can
be studied. For example, Figure 6 shows four
simultaneously acquired images of water vapor mix-
ing ratio, relative humidity, aerosol backscattering
coefficient, and aerosol extinction.

The ratio of extinction to backscattering can be used
to quantify aerosol growth versus relative humidity. A
relative humidity value of 70% is generally taken to be
the level abovewhich aerosols can begin swelling. This
can be revealed by the ratio of extinction to backscat-
tering which will tend to increase as the aerosol grows
in size.

Daytime water vapor The Scanning Raman Lidar
was deployed to the panhandle of Oklahoma in the
United States for the first International H2O Project
held in May–June, 2002. Prior to the deployment, the
SRL received technology upgrades to improve meas-
urements of water vapor during the daytime where
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high solar background makes measurement of the
weak Raman signals more difficult than at night. In
Figure 7 is shown the water vapor image acquired on
May22, 2002 during a dryline event near the lidar site.
This image is displayed with 3min temporal and
between 100 and 300m vertical resolution and reveals
convective plume structures in the boundary layer,
which is seen to increase in height as the day
progresses. Approximately 1 hour before sunset,
which occurred at 0200 UT (shown as 26 in the
image), the dryline became better defined resulting in a
significant drying above B1.5 km and increased
moisture below.

Upper tropospheric water vapor Small errors in
the quantification of water vapor at high altitudes
can create large errors in radiative transfer calcula-
tions. Therefore ground-based monitoring of
upper tropospheric water vapor is important in
climate change studies. The same hardware upgrades
to the SRL that permitted the improved daytime

measurements of water vapor shown in Figure 7 also
permitted very high-quality upper tropospheric
retrievals of water vapor during the nighttime. In
Figure 8 is shown a comparison of a 30-min summa-
tion of SRL water vapor mixing ratio data and a
radiosonde measurement on the night of 5 December
2000. Excellent agreement is seen between the two
sensors on this particular occasion, although radio-
sondes can have difficulty quantifying the very small
amounts of water vapor present in the cold upper
troposphere.

Cirrus cloud optical depth measurements and influ-
ence on satellite radiances The Scanning Raman
Lidarwas deployed toAndros Island, Bahamas during
August and September 1998 for the third Convection
and Moisture Experiment (CAMEX-3). CAMEX-3
was a multi-instrument field campaign designed to
improve hurricane tracking and intensification fore-
casting. During the period of August 21–25, hurricane
Bonnie passed near Andros Island and influenced both
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thewater vapor and the cirrus cloud environment. The
SRLmeasurements of cirrus cloud acquired onAugust
23 indicated that the cirrus optical depths ranged from
a high of B0.7 to a low of B0.005. This range of
optical depths provided a convenient dataset to test the
sensitivity of satellite retrievals of precipitable water
vapor to the presence of cirrus clouds.

In Figure 9 are shown the SRL measurements
of total atmospheric precipitable water and cirrus
cloud optical depth from August 23 along with
the corresponding GOES-8 (Geostationary Observa-
tional Environmental Satellite) precipitable water
retrievals. The lidar measurements indicate that the
total precipitable water (TPW) changed relatively
little during the measurement period. All significant
variation in the retrieved TPW from GOES is attrib-
uted to the influence of cirrus. There is a strong
correlation between cirrus cloud optical depth and the
GOES-derived TPW. Furthermore, the GOES and
lidar TPW measurements converge at the end of the
data record where optical depths are very low as
expected.

It is clear from Figure 9 that increases in cirrus
optical depth elevate the retrieved TPW. These results
indicate that satellite radiances are noticeably affected
for cirrus optical depths above approximately 0.005.
Undetected cirrus cloud will create a consistent high
bias in GOES satellite retrievals of TPW. Using the
cirrus cloud detection criteria of the most recent
International Satellite Cloud Climatology Project
analysis indicates this bias will be up to 20% for
cirrus clouds measured over water and 40% for cirrus
clouds measured over land. It is apparent from the
results presented here that satellite retrieval algo-
rithms need to be able to detect the presence of cirrus
cloudswith IRoptical depths as small as 0.005 in order
to avoid significant influences on satellite radiances
and thus potential errors in retrievals.

Future Developments: Airborne
Raman Water Vapor Lidar

Despite the great success of Raman lidar technology
for both daytime and nighttime measurements of
water vapor from ground-based platforms, Raman
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lidar measurements from aircraft are very limited. No
airborne Raman lidar system has been constructed to
measure water vapor during both daytime and nigh-
time. To address this deficiency, the performance of an
airborne Raman water vapor lidar was studied as a
part of the NASA Instrument Incubator Program. A
numerical Raman lidar model was constructed and

used to study the anticipated measurements of this
new system for water vapor conditions ranging from
subtropical to arctic. The results demonstrate that a
significant performance increase is realized by oper-
ating a Raman lidar looking downward from an
aircraft compared to that same system lookingupward
from the ground. The lidar system simulated was
based on a 15 W tripled Nd:YAG laser and a 0.6m
telescope. The optical field of view of the telescope is
0.25mrad and the spectral widths of the water vapor
and nitrogen interference filters are both 0.3 nm. In
Figure 10 are shown the simulated profiles of water
vapor mixing ratio measured by this airborne Raman
lidar under both nighttime (A) and daytime (B)
conditions for subtropical conditions during August
(the radiosonde profile used was from Andros Island,
Bahamas on 22 August 1998). The nighttime simula-
tions used a 10 s summation while during the daytime
the summation was 3min. The daytime simulations
assume a 01 solar zenith angle over water. The vertical
smoothing applied to the profiles is as follows: For the
nighttime case, between the altitudes of 0–4 km, a
200m smoothing is used, between 4 and 7 km, the
smoothing is 120m, and above 7 km, the smoothing is
40m. The random error in the retrieval is less than
10% up to 9 km and closer to 5% in the very moist
region near the surface. For the daytime case, the data
are smoothed to 200m for all altitudes. The modeled
error is generally less than 5% except in the region
between 5 and 6 km, where it is closer to 7%. In the
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lowest 2 km of the profile, the error is 3–4%. These
profiles demonstrate that an airborne Raman lidar of
the specifications modeled here would be capable of
very high-quality profiles of water vapor under both
daytime and nighttime conditions. Such a system
would indicate a significant advance in airborne
remote sensing since the additional Raman measure-
ments that have been described here could be made
simultaneously with the water vapor mixing ratio.

Summary and Conclusions

Raman Lidar technology has been used to measure a
broad range of atmospheric phenomena including
water vapor, cloud liquid water, water temperature,
atmospheric density and temperature, aerosol back-
scattering and extinction, stratospheric ozone, and
pollutants. Systems have been constructed with the
ability to measure many of these parameters simulta-
neously. This ability to make numerous simultaneous
lidar measurements is quite unique to the Raman
technique due to the spectral shifting of the return
signals. This has permitted the construction of systems
such as theNASA/GSFC ScanningRaman lidar, which
is capable of precise tropospheric measurements of
water vapor along with measurements of aerosols and
cirrus clouds. Liquid water measurements are also
possible simultaneouslywith those ofwater vapor and
aerosols.

Raman lidar has a further attractive feature in its
relative simplicity compared to competing techniques
such as differential absorption lidar. This has permit-
ted an automated Raman lidar to be developed by the
Department of Energy. This system provides contin-
uous automated measurements of water vapor and
aerosols at the northern Oklahoma Cloud and Radi-
ation Testbed Site. With improvements in technology,
we can expect the future to bring several advances in
Raman lidar technology and corresponding advan-
ces in atmospheric measurements. These include: (1)
higher performance systems for ground-based re-
search; (2) lower cost automated systems for precise
characterization of the atmospheric state over extend-
ed periods; and (3) airborne systems combining water
vapor, liquid water, aerosol scattering, extinction, and
depolarization. Such systems and new analysis tech-
niques should permit Raman lidar to remain one of the
most powerful remote sensing techniques being ap-
plied to atmospheric studies.
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Lidar (light detection and ranging) technologies,
the optical counterpart to radar, have been especially
important for studying the middle atmosphere
from the middle stratosphere (from about 30 km
altitude) to the lower thermosphere (to about
110 km altitude). This region is inaccessible to in situ
probing from aircraft, balloons, and satellites. Only
rocket probes and remote sensing instruments can be
used to measure the atmospheric composition and
structure at these high altitudes. Lidars typically
employ high-energy pulsed lasers, large optical tele-
scopes, and range-gated photon counting detectors to
derive atmospheric profiles. There are two primary
types of lidar systems that are being used to probe the
middle atmosphere. Rayleigh/aerosol systems employ
backscattering from air molecules and ice particles to
infer temperature, wind, and aerosol profiles up to
about 80 km altitude. Resonance fluorescence lidars
employ resonant backscattering from the hydroxyl
(OH) layer or from the atomic metal layers in the
mesopause region and lower thermosphere (80–
110 km).

The OH layer is formed by chemical processes,
while the metal layers are the product of meteor
ablation. Lidar systems have been developed to probe
mesospheric Na, Fe, K, Ca, Ca1, and Li. Because of its
relatively high abundance and large resonant back-
scatter cross-section, Na has been the most widely
studied species. Existing systems based upon Na
provide the highest resolution and most accurate

wind and temperature measurements. However,
rugged K and Fe systems have also been developed
to make upper-atmosphere temperature measure-
ments at remote sites and from research aircraft.
AlthoughOHairglow imagers arewidely employed to
study mesopause region dynamics, the OH lidar
technique has been demonstrated only recently and
few data have yet been collected using this new
instrument.

System Design

Figure 1 is a block diagram of a typical resonance
fluorescence lidar system.The pulsed laser is tuned to a
resonant absorption line of the metallic species being
probed. A small fraction of the output beam is directed
to wavelength and energy monitors and to a pulse
detector, which triggers the data acquisition system.
The laser pulse propagates into the atmosphere, where
it is Rayleigh-scattered by air molecules at lower
altitudes and then resonantly scattered by the metal
atoms in the mesopause region. For resonance fluo-
rescence scattering, individual metal atoms absorb
photons in the laser beam and are excited to a higher
energy state. Because the wavelength of the photons
corresponds to an absorption line of the species, the
probability of absorption ismany orders ofmagnitude
higher than the probability of Rayleigh scattering. In
the low-density mesopause region, where the mean
time between collisions is long compared to the
fluorescence lifetime of the excited species, the excited
atoms return to the ground state by spontaneously
emitting a photon. In most cases the emission wave-
length is nearly the same as the excitation wavelength.
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Those photons that are backscattered into the receiv-
ing telescope and focused onto the photomultiplier
tube (PMT) are counted by the data acquisition system
and then the data are recorded for later processing and
analysis.

The detected photons are counted in small sequen-
tial subintervals of a few tenths of a microsecond
duration, which correspond to scattering layers of a
few tens of meters thickness. As in radar, the measured
time delay between firing the laser and detecting the
backscattered photons is used to compute the range to
the scattering layer. To improve the signal level and
minimize the effects of photon noise, the signal counts
from several hundred laser pulses, transmitted over a
period of several tens of seconds, are accumulated by
the data acquisition system. The accumulated data are
then processed to yield profiles of the species concen-
tration. If a narrowband laser is tuned to several
different frequencies within the absorption line spec-
trum, it is also possible to infer the temperature and

line-of-sight velocity of the species as well as its
concentration.

Plotted in Figure 2 is a Na lidar photon count-
profile obtained at the Starfire Optical Range
near Albuquerque, NM that illustrates the mole-
cular (Rayleigh) scattering between 30 and 60 km
and the resonant scattering from Na between 80 and
105 km.The thin dense layers near 93 and
99 km altitude are meteor ablation trails that
drifted through the field-of-view of the lidar system
during the 90 s observation period. The molecular
scattered signal is proportional to atmospheric densi-
ty, while the Na signal is proportional to the Na
density.

Data Processing

For a zenith pointing lidar, the detected photon count
from ametallic scattering layer of thicknessDz located
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Figure 1 Block diagram of a typical resonance fluorescence lidar system.
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at an altitude z is given by eqn [1].

Nm l; zð Þ ¼ T2
aE

2ðl; zÞPLDt
hc=l

� �

� smðl;T; vR; sLÞrmðzÞDzð Þ

� Z
AR

4pz2

� �
½1�

In eqn [1], T2
a is the round-trip transmittance of the

lower atmosphere; E2ðl; zÞ is the round-trip extinc-
tion associated with absorption by the metallic
species; PL is the average power of the laser; Dt is the
accumulation period; h is Planck’s constant; c is the
vacuum speed of light; smðl; T; sLÞ is the effective
absorption (or backscatter) cross-section of the reso-
nance line, which is a function of laser wavelength l,
temperature T, radial velocity vR, and laser linewidth
sL; rmðzÞ is the metallic species density; Z is the overall
optical efficiency of the receiving system including the
detector; and AR is the area of the receiving telescope.
The first term in brackets on the right-hand side of eqn
[1] is the effective number of transmitted photons; the
second term is the probability that a transmitted
photon is scattered by the metal layer of thickness Dz
located at altitude z; and the third term is the
probability that a scattered photon is collected by
the telescope and counted by the detector and data
acquisition system. Because accuracy and useful res-
olution are related to signal strength, the most
accurate, highest-resolution measurements are ob-
tained with large power – aperture product (PLAR)
lidars utilizing powerful lasers and large-diameter

receiving telescopes. Typically, the laser power levels
are a fewwatts and the telescope diameters range from
a few tens of centimeters to a few meters.

The absorption cross-section can be calculated
using the fundamental principles of quantum spec-
troscopy. The peak cross-sections for several meso-
spheric metals are listed in Table 1 along with the
wavelength of the absorption line. These cross-sec-
tions were computed by assuming that T ¼ 200K and
vR ¼ 0, that the laser linewidth is small compared to
the thermally broadened width of the absorption line,
and that the laser is tuned to the peak of the absorption
line. The nominal peak densities of these species
usually occur between 90 and 95 km. The nominal
densities are also listed in Table 1. The probability of
resonance fluorescence scattering is given by the
second term on the right-hand side of eqn [1]. The
probability of scattering from a layer of Na 100m
thick with a nominal density of 5000 cm� 3 is
7.5� 10�4. By comparison, the probability of Ray-
leigh scattering from air molecules in a 100m thick
layer at 90 km is 3� 10�9. This simple example
illustrates the enormous advantage of resonance
fluorescence lidars for making observations in the
upper mesosphere.

Measurement Capabilities

Na resonance fluorescence lidars were the first to be
developed to measure wind and temperature profiles.
These parameters are derived from the backscattered
Na signal by tuning anarrowband laser over theNaD2

fluorescence spectrum near 589 nm to measure
the width of the fluorescence spectrum, which is
related to temperature, and to measure the center
frequency, which is related to Doppler shift associated
with the radial winds. Na density, temperature, and
radial wind velocity can be determined by measuring
the backscattered signal at as few as three different
frequencies within the D2 spectrum. To measure all
three wind components it is necessary to scan the lidar
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Table 1 Absorption cross-sections of several mesospheric

metals

Metallic

species

Nominal peak

density (cm� 3)

Resonance line

wavelength (nm)

Peak absorption

cross-section

(10� 16m2)

Ca 300 422.67 38.5

Ca1 100 393.37 14.1

Fe 10000 371.99 0.943

K 50 769.90 13.4

Li 3 670.78 7.3

Na 5000 589.00 15.0
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sequentially among several zenith and off-zenith
directions using a steerable telescope. While simple
in concept, Na wind/temperature lidars employ sen-
sitive ring dye lasers, pulsed dye amplifiers, and
complex frequency-locking techniques to achieve the
required tens of kilohertz frequency accuracy neces-
sary for the wind and temperature observations.
Accuracies of 71K and 71m s� 1 (radial wind) at
resolutions ofB100m andB1min are readily achiev-
able with current laser and telescope technologies.
Plotted in Figure 3 are the temperature, Na density,
zonal wind, and meridional wind profiles measured
with a steerable Na lidar at the Starfire Optical Range,
NM. Narrowband K lidars have also been used to
measure temperature profiles using robust solid-state
ring lasers.More recently, a rugged broadbandFe lidar
was used to measure the first middle and upper
atmosphere temperature profiles over the North and
South Poles using the Boltzmann technique.

Lidar technologies are now making crucial contri-
butions to studies of the chemistry and dynamics of the

middle atmosphere. It is now possible to profile winds
and temperatures throughout the atmosphere to
altitudes as high as 110 km. These observations are
making fundamental contributions to our knowledge
of this region and to the impact of global climate
changes. During the 40 years since the invention of the
laser, lidar technologies have firmly established them-
selves as one of the key tools for probing the Earth’s
atmosphere.

See also

Lidar: Atmospheric Sounding Introduction; Backscatter;
DIAL; Doppler; Raman; Resonance.
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Introduction

This article outlines the current understanding of
lightning from tropospheric clouds. It begins with a
brief history of research in this area and a summary of
the tools used in the present-day studies. It then
presents a short description of a lightning flash and
discusses the major physical processes that lead to the
production of lightning. This discussion provides the
basis for the next topics: the links between lightning
and other meteorological parameters, and the clima-
tology of lightning.

Background

History of Lightning Research

Lightning is arguably the most dramatic naturally
occurring atmospheric phenomenon, but the first
understanding of its electrical nature came with
Benjamin Franklin’s famous experiments in the
1750s. These were followed by rapid advances in the
theory of electromagnetic phenomena, with practical
advances in lightning protection devices. In the 1920s
C.T.R. Wilson suggested the role of thunderstorms in
the atmospheric electrical system. In the 1950s and
1960s, as the field of cloud physics came into its own,
the microphysical processes involved in thunderstorm

electrification were widely studied, if not explained.
Improvements in remote sensing of the relevant
variables have further advanced our understanding
of lightning as an atmospheric phenomenon, and
lightning observations now provide information on
cloud and atmospheric processes that complement
traditional meteorological measurements.

Data and Models

Our understanding of lightning is derived from data
from many sources. In-situ field mills, current meters,
and induction rings mounted on meteorological bal-
loons and/or aircraft yield small-scale information on
in-cloud electric fields and charge distributions. Sur-
face sensors located beneath storms and/or on mobile
laboratories record electric field changes and currents
associated with lightning along with colocated
cloud physical variables. Sophisticated instruments
measuring various components of the radiation asso-
ciated with lightning can pinpoint the in-cloud loca-
tions of lightning strokes, and follow the lightning
channel trajectories. Finally, lightning can be detected
and its location mapped from great distances by
optical detectors placed on space-based platforms
and by detection at the surface of low-frequency
electromagnetic signals propagating in the global
waveguide.

These data can be used in numerical thunderstorm
models of varying complexity to simulate the evolu-
tion of cloud and electrical properties over a cloud life
cycle. These provide useful means for testing new
ideas, although at present incorporation of elec-
trical phenomena in models requires semiempirical
parameterizations.
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Lightning: the Process

Lightning is an electrical discharge; i.e., a rapid
redistribution of electrical charge within thunder-
clouds or between a cloud and its surroundings. IC, or
intra-cloud lightning, is a discharge between two
points in the same cloud; C–G, or cloud-to-ground
lightning, transfers charge between a point in cloud
and a point on the ground below. (Intercloud light-
ning, connecting points in different clouds, will not be
treated here.)

A lightning flash consists of several components. In
C–G flashes (which are those most widely and closely
studied) a low-current ð�1 kAÞ, low-luminosity chan-
nel is initiated in the cloud. The channel is a fully
ionized plasma tube several centimeters in diameter.
Joule heating by electrical currents in the plasma raises
the channel temperature to above 20 000K. The
heated gas expands, giving rise to shock waves
producing the sound called thunder. The current
carried by the channel discharges tens of millions of
volts. The high temperatures inside the channel favor
certain chemical reactions of atmospheric signifi-
cance; in particular, the production of NOx, trea-
ted elsewhere in this encyclopedia (see Stratospheric
Chemistry andComposition:ReactiveNitrogen (NOx

and NOy)).
This first channel propagates downward in dis-

crete steps 2–50m in length separated by pauses of
�50 ms, and is commonly referred to as a stepped
leader. This is followed by a return stroke (i.e., a
return current) from ground to cloud. There may be
several leader–return-stroke pairs but the time
between strokes is usually too short for our eyes to
resolve and thus what we call a lightning flash usually
consists of several individual strokes. The return
stroke is the brightest phase of the flash with typical
peak currents �40 kA; the average total current is
several amps. Figure 1 shows a sequence of strokes
recorded on film.

The entire discharge lasts about 0.1 s. C–G flashes
typically lower 20–30C to ground but values in excess
of 200C have been recorded.

The high temperature inside the channel increases
the pressure inside it and gives rise to a shockwave that
expands into the surrounding air. Air resistance damps
the wave and the pressure of the disturbance decreases
rapidly, so that the far field effect is that of sound
waves, or thunder.

Thunderstorms and Lightning

To understand the electrification of thunderstorms
we review the electrical context in which they
develop.

The Global Circuit

The surface of the Earth behaves like a negatively
charged conductor. This conductor and the electro-
sphere (a region of net positive charge whose base is
around 65 km altitude) constitute the ‘plates’ of a
concentric spherical condenser. There is a fairly con-
stant, spatially uniform fair-weather electric field in
the atmosphere between the plates: Efair � 100Vm�1

at the Earth’s surface. This field is associatedwith a fair
weather current of positive charge to the ground:
Jfair � 2�10�12 Am�2.Without ‘batteries’ the current
would discharge the field in a few minutes. The major
batteries, or generators, are thunderstorms, which
deposit predominantly negative charge on the Earth’s
surface through lightning and precipitation. Thus
lightning at any point perturbs the local electric charge
distribution and the electromagnetic waves travelling
in the global waveguide.

Thunderstorm Electrification

The electrical conductivity inside a cloud is much
lower than that in the free air, since ions become
attached to the hydrometeors. Thus insertion of a
completely passive cloud into the fair-weather field

Figure 1 Lightning flash photographed with a streak camera.

The camera moves during the lightning flash, enabling the

resolution of a number of individual strokes. (Reproduced with

permission from Uman M (1987) The Lightning Discharge. Inter-

national Geophysics Series, Vol. 39. San Diego, CA: Academic

Press.)
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results in the attachment of ions from the environment
on hydrometeors at the cloud edges. As these move,
the electric field distribution in the cloud changes.
Fields up to 100–1000Vm�1 are often found in
‘‘nonelectrified’’ clouds. In thunderstorms, on the
other hand, internal charging mechanisms produce
electric fields of up to 100 kVm�1.

The information we have on in-cloud charge distri-
butions is very limited, and we know only some
general features, shown schematically in an idealized
isolated convective thunderstorm in Figure 2. In
simple storms like this one, a vertical dipolar or
tripolar charge distribution develops as the cloud
grows, with typical charges Q � 10–100C in each
center at maximum, carried by the cloudwater and ice
particles. The positive charge is distributed in a diffuse
region aloft; typically, the charge density in this region
is several C km�3. The negative charge center can be
more compact, and is always located in the part of a
cloud (called the ‘charging zone’) in which the
temperature lies between �10�C and about �20 to
�25�C. This is the only region inside clouds in which
vapor-grown ice, supercooled water, and hail particles
coexist. There are often other important pockets of
charge, including a secondary positive charge center;
these become larger and more complex as the cloud
ages.

The fact that the negative charge center is con-
fined in temperature suggests that microphysical
interactions control the electrical charge distributions
in this type of storm, although dynamic pro-
cesses (transport in updrafts and downdrafts and
turbulent motions) are also important. The major
microphysical charging mechanism in convective
storms appears to be charge separation between
colliding ice particles.

Laboratory studies show that electric charge is
separated during rebounding collisions between ice
particles, so that the rebounding particles carry equal
and opposite charge. The sign and magnitude of the
charge are reproducible functions of temperature,
particle types and sizes, and the cloud water content
and distribution. At temperatures above a ‘reversal’
threshold, around �15�C, the hail generally receives
positive charge, and at lower temperatures it receives
negative charge during a collision. Typically the
charge separated is around 10�14 C per collision
when one of the partners is hail; far more charge is
separated when both are hail and less when both are
vapor-grown ice crystals. In general, the large (precip-
itating) hail particles receive net negative charge as
they fall through the cloud of smaller ice crystals.
Subsequently, gravitational separation of the large,
negatively charged precipitation particles and the

w

charging zone

−20° C

−10° C

intra-cloud (IC) lightning

Cloud-to-ground (CG) lightning

Figure2 Schematic picture of an idealized thunderstorm, showing the ascent of hydrometeors (round circles) in the updraft (velocityw )

andsedimentation of the larger particles,which collidewith smaller onesbelow.Rebounding collisionsbetweenhail particles and small ice

crystals result in charge transfer between them.Gravitational separation of the lighter (positively charged) ice particles and the negatively

charged graupel (i.e., soft hail) particles leads to the electric charge distribution shown. This precipitation-based charging is thought to

dominate early thunderstormelectrification. (Reproducedwith permission fromSchroederV (2000)HowDoesLightning Initiate andWhat

Controls Lightning Frequency? PhD thesis, University of Washington.)
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lighter, positively charged ice crystals constitutes a
‘generator current’ Jgen � 0:1Akm�2.

The collision-based process is the most important,
but not the only one responsible for creating the
observed in-cloud charge distributions. Other pro-
cesses become more important as electrification pro-
ceeds; for example, cloud particles in the existing
electric field become charged inductively; melting
appears to be associated with charging in stratiform
clouds; ions become attached to aerosol particles and
cloud particles near cloud edges; finally, motions of
charged particles redistribute them throughout the
cloud system.

This inhomogeneous electric charge distribution
produced by these processes is associated with
an electric field. The field grows as the cloud develops
and eventually conditions are met in which lightning
is triggered. The first flash is typically initiated just
above the lower, negative charge center and the first
lightning is usually IC. The lightning flash transfers
charge between the upper, positive charge center and
points below. The net charge density aloft is thereby
decreased and positive charge builds up somewhat
below the negative charge center. Continued IC
lightning as the convective cell reaches full vigor
continues this charge redistribution process. At some
point the electric field between the lower charge
centers and ground becomes strong enough to trigger
C–G flashes.

This classical picture does not describe all thunder-
storms. Recent measurements (for example, those
made during the Severe Thunderstorm Electrification
and Precipitation Study (STEPS) project in 2000)
reveal that the charge structure in clouds is often
inverted, with negative charge aloft. The exact mech-
anisms for this inversion are not known.Moreover, in
complex cloud systems containing large stratiform
regions and/or multicellular structures the charge
distribution can be highly three-dimensional and
complex.

Most C–G flashes from convective storms
carry negative charge to ground, indicating that the
in-cloud point of origin of the flash is associatedwith a
negative charge pocket, but in midlatitude storms
around 10% deposit positive charge to ground.
Positive flashes tend to be associated with low precip-
itation regions in mesoscale storm systems, and they
are often very intense. In general, reversed lightning
polarity results from (1) wind shear, displacing the
upper positive charge so that it overlies cloudfree air
and is electrically coupled to ground; (2) inverted
charge structure in cloud, possibly due to charging at
temperatures higher than the reversal temperature;
and (3) absence of large concentrated pockets of
negative charge.

Microphysical Processes Leading
to Lightning Production

In order to make further progress in understanding
lightning generation we must solve two outstanding
puzzles; namely, (1) what is the mechanism for the
charge transfer between colliding ice particles, and (2)
how is lightning initiated? In this section we briefly
discuss our current understanding of these processes
and the hypotheses now being tested to explain them.

Charge Transfer via Ice–Ice Collisions

The mechanism by which the rebounding ice particles
become charged remains somewhat unclear. Both sign
and magnitude of the charge depend on the rate of
growth of the ice particle from the vapor. The charge
transfer appears to be due to the fact that positive
water ions in ice have much higher mobilities than do
negative ions. Ions are created at high rates near the ice
surface, and the positive ions migrate inside, so that
the growth creates net negative charge at the ice–vapor
interface. During a collision, material from the two
particles is mixed and net negative charge is trans-
ferred to the particle with the slower growth rate. The
various characteristics of the hail – i.e., its smoothness
or roughness, the density of grain boundaries and
dislocations, and the chemical composition of the
frozen water – all modify the charge transfer.

Lightning Initiation

Lightning initiation is thought to involve the following
stages. (1) The in-cloud electric fields intensify via
microphysical and dynamic processes. (2) Free elec-
trons in some region of the field begin to accelerate,
creating more electrons via ionization, in so-called
electron avalanches. If these continue they result in
propagating corona streamers, or small-scale currents.
(3) Heating associated with the propagation of high
electric current through and beyond the region of very
high local fields produces the hot, completely ionized
lightning channel, or leader.

This process is known as ‘dielectric breakdown’. In
the laboratory, dielectric breakdown can occur only if
the ambient electric field reaches a (pressure-depend-
ent) threshold value, denoted EthðpÞ. At surface
pressure (1000 hPa) Eth � 2600 kVm�1. This value,
and the physics of breakdown in the laboratory
context, are well understood. However, measured
electric fields inside thunderclouds never reach the
threshold value and are usually more than an order of
magnitude less than this value.

Two classes of hypotheses are typically invoked to
resolve this puzzle. While both involve acceleration of
an initial electron and subsequent production of
electron avalanches, everything else about the two
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mechanisms is different. The first is the ‘conventional
breakdown’ hypothesis, which operates on very small
spatial scales. It is based on the fact that in the vicinity
of conducting hydrometeors the electric field magni-
tude can reach the breakdown threshold value.
According to this lightning initiation hypothesis, free
electrons near cloud ice and water particles are
accelerated by the local field and can produce local
streamers.

The second class of triggering mechanism hypoth-
eses depends on the fact that in-cloud electric fields are
fairly large, even if not of breakdownmagnitude, over
several kilometers. An electron moving in such a field
is accelerated by the field and decelerated by its
interactions with neutral molecules. If the electric field
magnitude is sufficiently great, it can compensate for
the deceleration. The balancing electric field is called
the ‘breakeven’ field; EbeðpÞ ½kVm�1� � 200p ½atm�,
much smaller than the breakdown threshold field.

The ‘runaway breakdown’ hypothesis of lightning
initiation suggests that if Ebe is exceeded, even if
slightly, over sufficient distance, then high-energy
electrons (resulting from cosmic ray showers or
atmospheric radioactivity, or short-lived, small-scale
intense electric fields) travelling in the field can create
sufficient daughter electrons by ionization to initiate a
leader, or ionized channel. The more the field exceeds
the breakeven value the shorter the distance needed to
create the leader.Measured electric fields in clouds are
generally much smaller than the breakeven field, and
just reach it or barely exceed it immediately prior to a
lightning stroke, lending credence to the runaway
breakdown hypothesis.

Neither the conventional nor the runaway mecha-
nisms are completely satisfactory; neither can explain
all the observations. Unfortunately, balloon measure-
ments cannot solve the lightning initiation puzzle
because they are Lagrangian in nature, they sample
very small volumes of cloud, and their spatial and
temporal resolution is too coarse. Therefore consider-
able effort will have to be devoted to interpretation of
complementary measurements in order to clarify the
nature of the lightning trigger(s).

Lightning and Cloud Properties

Although much remains to be learned about lightning
generation, we can examine some basic relationships
linking lightning frequency F ½s�1� to other important
parameters. A simple dimensional argument illus-
trates the important links. F is a function of the charge
generation rate,

.rQ, the depth H of the electrically
active region and the threshold field for producing
lightning (which we assume here is a function of Ebe).
The charge-generating current density Jgen / .rQH.

Therefore

F /
.rQH

Ebe
½1�

Flash Rate and Radar Reflectivity in
Charging Zone

For simplicity we neglect all contributions to
.rQ

except that due to collisions between hail particles and
vapor grown crystals. Consider a situation in which
Nhail ½m�3� hail particles of diameterDhail collide with
Nice vapor-grown ice particles of diameter dice. The
laboratory charging results can be parameterized in
terms of these variables, leading to an expression of the
form

.rQ / NhailD
6
hailNiced

3
ice ½2�

� ZMice ½3�
where Z is the radar backscatter and Mice the mass of
vapor-grown ice in the region of the collisions. Thus,
we can write

F / ZMiceH

Ebe

½4�

Therefore we expect the measured lightning fre-
quency to increasewith radar reflectivity (i.e., the large
hail concentration) and with the mass of vapor grown
ice. Both of these predictions have been borne out in
preliminary analyses of lightning frequency vs. radar
reflectivity and 85GHz signal from thunderstorms. As
a rule of thumb, a minimum radar reflectivity of
around Z ¼ 40 dBZ for temperatures about �7�C
seems to be required for rapid electrification.

Flash Rate and Updraft Velocity

We can rewrite eqn [4] to relate F to updraft velocity in
the charging zone. The fall velocity of the hail particles
is very roughly proportional to the hail particle
diameter. Therefore, if we assume that most of the
collisions take place at the balancepoint,where the fall
velocity of the hail particles is equal to the updraft
velocity w, then

.rQ / w6Mice ½5�
Thus

F / w6MiceH

Eth
½6�

Since updraft velocity in the mixed-phase zone is of
importance in weather prediction, the strong depend-
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ence of lightning on this factor may provide a useful
remote indicator of storm strength. More
careful studies show that as a general rule the very
existence of lightning implies vertical velocities of at
least 7–8m s�1 in the charging zone. Updraft velocities
are often tied to buoyancy, or CAPE (con-
vective available potential energy), so that it is
not surprising that observations tie F to CAPE in
regions where sounding shape is not highly variable,
such as over oceans; however, this relationship is
regional over land and attempts to identify a single
CAPE ‘threshold’ with the onset of lightning have not
been very fruitful.

Flash Rate and Vertical Water Fluxes

It has long been hoped that, because of the role of hail
in generating lightning, reliable and useful relation-
ships could be found by which lightning frequency
could be used as a surrogate for precipitation at the
ground.Unfortunately, although it is possible to derive
dimensional relationships between flash rate and in-
cloud hail concentrations (see eqn [3]), universal
quantitative relationships of sufficient accuracy for
use in prediction are far from our reach. Many high
precipitation storms produce no lightning at all
(particularly if most of the precipitation comes from
warm cloud processes), and the complex processes
involved in producing precipitation (particularly pre-
cipitation at the ground, where predictions are most
needed) are so variable on small spatial and temporal
scales that precipitation cannot be accurately predict-
ed from simple macroscopic measures like lightning
frequency. Estimates of precipitation ‘yield’ y for
example, range from 107� y� 1010 ½kgH2O flash�1�
in one given location.

Since lightning frequency increases with increasing
rate of supply of water to the charging zone and
upward flux of small ice particles, lightning can be
used in certain predictive schemes. Remote sensing of
lightning has been successfully incorporated into
predictions of hurricane landfall time and location,
and more such applications are likely to follow. On
larger scales, flash rate can also be considered a
surrogate for the rate of water lofting to the upper
troposphere in convective towers. A simple argu-
ment suggests that globally around Mice �
106 ½kg ice flash�1� is lofted to the upper troposhpere.
At present, attempts to make more quantitative
estimates of regional condensate lofting from light-
ning observations have proved frustrating because
the relationship is highly variable, but global light-
ning activity as inferred from ELF (extremely low-
frequency) waves in the global circuit appears to be
strongly correlated with tropical water lofting.

Lightning and Atmospheric Aerosols

Forest fires and urban pollution have been shown
to produce anomalies in C–G lightning flash
rate, lightning intensity (peak current, and/or
radiance) and in the sign of the charge brought to
ground by lightning. These intriguing observations
might be due to modifications of the hydrometeor
populations by variations in the distributions of
aerosol particles, to modification of the soundings by
anomalous surface heating, to chemical modifications
of the charge transfer process or to some combination
of these.

Lightning Climatology

The advent of routine lightning monitoring programs
from satellites and important advances in ground
sensing capability have allowed great advances in our
understanding of the distribution and frequency of
lightning. Here we present an overview of lightning
climatology.

The global, diurnal averageC–Gflashrate is �FFC–G �
12–16 s�1; Fmax � 55 s�1 in NH summer, over land.
As shown in Figure 3, about 70% of all lightning
occurs between 30 � S and 30 � N, echoing the
distribution of convective activity. In the tropics
there is no seasonal cycle in the lightning frequency.
The seasonal cycle in midlatitude lightning flash rate
(with more lightning in the summer months) is due
mostly to differences in the number of storms (i.e.,
presumably, in CAPE), rather than in differences in the
flash rate per storm.

F is maximum at 1500–1800 local time, with much
smaller amplitude variation over the oceans than over
land. The diurnal cycle at any fixed location is due in
part to a cycle in flash rate per storm and in part to the
diurnal cycle in the number of storms.

Lightning production requires both high vertical
velocity and high upwardwater flux in the charging or
mixed phase zone. Water fluxes in this region are
relatively weak in many oceanic storms, which may
provide a clue to the large land–ocean differences in F
indicated in Figure 3: Fstorm (on land)� 2�Fstorm (over
ocean), but FtotalðlandÞ � 10�FtotalðoceanÞ. (Probably
the difference is enhanced by large continental
storms.)

The electric field distribution in and below a
thunderstorm determines whether the lightning pro-
duced is IC or C–G. Globally, the ratio IC/C–G ranges
from about 1 to 5, increasing with increasing latitude.
This latitudinal variation probably occurs because
the base of the charging zone is higher and the depth
of the charging zone larger in the tropics than in
midlatitudes.
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Summary

Lightning is an electrical discharge that arises in the
high electric fields inside a thunderstorm. While
neither the field generationmechanisms nor the details
of the lightning initiation arewell understood,wehave
enough information to begin to relate lightning to the
atmospheric conditions in which it originates. Light-
ning frequency, polarity, intensity, and the spatial
distribution of lightning flashes in principle carry
information about spatial distributions of updraft
velocities and hydrometeors, particularly in the
mixed-phase regions of storms. Lightning can be
sensed at great distance and it yields a measure of the
state of a storm that is independent of those measures
derived frommeteorological instruments. Thus, as our
understanding of the links of lightning to other
atmospheric phenomena improves, we can design
ways to utilize lightning data to improve storm
prediction. Moreover, distributions of lightning can
provide long-term information on the atmospheric
portion of the hydrological cycle. Incorporation of
lightning-related variables into the suite of measures
used routinely to diagnose surface temperature and
atmospheric stability may eventually aid in monitor-
ing global and regional climate change.
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Nomenclature

CAPE ½J kg�1� convective available potential en-
ergy; ameasureof convectivevigor.

charging zone The region in a cloud in which
vapor-grown ice particles, graupel
particles and supercooled liquid
drops coexist and encounter one
another in frequent collisions.
This region is confined to a tem-
perature band between approxi-
mately �10 and �20 to �25�C.

electric charge Q ½C� 1nC ¼ 10�9C.

electric field
EbeðpÞ ½kVm�1� pressure-dependent magnitude of

the ‘breakeven’ electric field, in
which an energetic electron of
energy 1MeV can propagate at
constant speed without accelera-
tion or deceleration.

EthðpÞ ½kVm�1� pressure-dependent dielectric
breakdownmagnitude of the elec-
tric field, at which clear air breaks
down and massive current flow
ensues.

F ½s�1� lightning frequency: the number
of lightning flashes per second in a
defined region.

global
circuit

the electrical system consisting of
the Earth’s surface and the elect-
rosphere, which act like two con-
centric conductors, coupled by the
dielectric atmosphere between
them.

H ½m� depth of charging zone.

J ½Am�2� electrical current density.

lightning
channel

region of space in which high
current produces a fully ionized
plasma.

0.01 0.03 0.10 0.30 1.0 3.0 10.0

Flash density (flashes km−2 month−1)

Figure 3 Lightning incidence in the months of December 1997, January 1998 and February 1998, as measured by Lightning Imaging

Sensor, in tropical orbit aboard the Tropical Rainfall Measuring Mission (TRMM) satellite. Note preponderance of lightning over land and

surrounding land masses. (Reproduced with permission from Christian HJ, Blakeslee RJ, Goodman SG, et al. (1999) The lightning

imaging sensor. In:Proceedings of the 11th International Conference onAtmospheric Electricity, pp. 746–749. Guntersville, Alabama, 7–

11 June 1999.)
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lightning
flash

An electrical discharge comprising
several individual strokes.

cloud-to-ground
(C–G) flash

A discharge between a point in a
cloud and the surface of the Earth
below.

intra-cloud
(IC) flash

A discharge between two points in
the same cloud.

lightning
stroke

an individual event within a light-
ning flash, in which current prop-
agates between the two points in
one direction.

microphysical
parameters
Mice ½kg flash�1� mass of ice rising from top of

charging zone in a given time
interval divided by number of
lightning flashes during the same
period.

Nhail ½m�3�;
Dhail ½m�

concentration and average diam-
eter of hail particles at top of
charging zone.

Nice ½m�3�;
dice ½m�

concentration and average diam-
eter of small ice crystals at top of
charging zone.

stepped
leader

the channel in the first stroke of a
flash, usually seen in C–G flashes.
So-called because the propagation
occurs in a series of discrete steps.

thunder the sound (pressure disturbance at
audible frequencies) that accom-
panies the shock wave emanating
from the channel into the sur-
rounding air.

w ½ms�1� updraft velocity in charging zone.

Z ½dBZ� radar reflectivity from region of
charging zone.

rQ½Cm�3� charge density.

See also

AviationWeatherHazards.Electricity,Atmospheric:
Global Electrical Circuit; Ions in the Atmosphere; Sprites.
Lightning: Production of Nitric Oxide. Radar: Cloud
Radar. Stratospheric Chemistry and Composition:
Reactive Nitrogen (NOx and NOy).
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Introduction

Besides being one of the most powerful and beautiful
atmospheric phenomena, lightning also plays an
important role in the chemistry of our atmosphere.
Lightning is a major source of nitrogen oxides
(NOx ¼ NO (nitric oxide)1NO2 (nitrogen dioxide))
in the troposphere. Field measurements in thunder-
storms show high concentrations of NOx, particularly
in the anvil regions where most of the NOx is
transported by the strong updrafts in thunderstorms.
Although someNOx can be transported aloft from the

polluted boundary layer, observations show that up to
95% of the NOx in the anvils of thunderstorms is
produced by lightning, with maximum measured
concentrations reaching 25–50 ppbv. Furthermore,
enhanced NOx concentrations in the upper tropo-
sphere have been measured hundreds of kilometers
downwind of thunderstorms. Although the major
source of atmospheric NOx is currently the anthro-
pogenic burning of fossil fuels, it is believed that
lightning may be the largest natural source of NO
in the troposphere (Table 1), with influences on
the biosphere, tropospheric ozone, and hence the
Earth’s climate.

The lifetime of NOx in the atmosphere increases
with altitude,withNOx in the boundary layer having a
lifetime of a few hours, while NOx deposited in the
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upper troposphere has a lifetime of a few days.
Lightning-produced NOx plays a key role in the
photochemical reactions that determine tropospheric
and stratospheric ozone (O3) concentrations. In the
troposphere, regions of high NOx concentrations
(B10 ppbv) result in the production of O3, while in
those regions with low NOx concentrations
(B10 pptv) O3 is destroyed. The photochemical
destruction of O3 is closely linked to the presence of
odd hydrogen ðHOx ¼ OHþHO2Þ, while the pro-
duction of O3 is related to the concentrations of NOx.
The overall production or destruction of O3 therefore
depends on the relative abundances of HOx and NOx.
Because O3 is a strong greenhouse gas, NOx is an
important factor when considering global climate
change. Radiative forcing by O3 is particularly sensitive
to changes in the vertical distribution of O3 in the upper
troposphere, where lightning has a key role. Further-
more, the reaction of NOx with the hydroxyl radical
(OH) influences the ability of the atmosphere to oxidize
and remove pollutants from the atmosphere. Less OH
implies more pollutants remaining in the atmosphere.

Nitrogen is also an essential element for life on
Earth, and is often the limiting nutrient in ecosystems.
The reaction between NO2 and OH leads to the
formation of relatively stable nitric acid (HNO3),
which can be removed from the atmosphere by
precipitation, and therefore provides an important
source of nitrate for the biosphere. Although biolog-
ical nitrogen fixation is today a common means of
producing nitrogen in the biosphere, lightningwas the
major source of nitrogen for the biosphere on the early
Earth, and may have had a major influence in the
evolution of life on Earth.

Production of NOx

Lightning is continuously occurring around the Earth at
a rate of 30–100 flashes s� 1. Each flash results in the
dissociation of the air molecules within the lightning
channel, and the recombination into new compounds.
In order to produce NOx in the atmosphere, the
molecular bonds of air molecules (N2 and O2) need to
be broken, forwhich a great deal of energy is needed. To
split the N�N bonds in molecular nitrogen,

9.45MJmol�1 are needed. In a lightning discharge
the energy can reach 102–103MJ, with temperatures
rising to 30000K in a few microseconds (ms). This is
five times hotter than the surface of the Sun. All
this energy is deposited into a very narrow channel
that at its maximum is only a few centimeters in
diameter but is many kilometers long. Although the
distance from the cloud to the groundmay be 5–10km,
recent observations indicate that if we include all the
branching of the channel within the cloud and below,
the total length of these narrow channels may be
hundreds of kilometers.

NOx is formed by the thermal dissociation of
molecular O2 in the hot channel and the subsequent
oxidationofN2 to formNOx. Approximately 75–95%
of the NOx is in the form of nitric oxide (NO).

O2 , OþO

OþN2 , NOþN

NþO2 , NOþO

The final yield of NO is determined primarily by the
rate of cooling of the lightning channel. A slow decay
of the hot channel would allow theNO to return toN2

and O2. However, owing to the rapid cooling of the
channel as it mixes turbulently with the surrounding
air, there is not enough time for the reverse reaction to
occur, and the NOx remains ‘fixed’ or ‘frozen’ in the
atmosphere. The freezing out of NO occurs when the
channel temperature drops below 2500K. Nitric
oxide produced by this mechanism is known as the
Zel0dovichmechanism and is expected to have volume
mixing ratios of 1–4% when the air cools.

Various studies have shown that the production
yield ofNO in the hot channel isB1017molecules J�1.
There has been discussion as to whether the NO is
produced primarily in the hot channel, or perhaps in
the shock front that propagates outward at speeds
of 50–60 km s�1. Recent laboratory experiments
have determined that the shock front produces three
orders of magnitude less NO than the hot channel
(B1014 molecules J� 1). In addition, there are regions
around the lightning channel with high electric
fields that produce coronae and streamers. Although
recent laboratory studies conclude that the coronae
and streamers (cold discharges) produce two orders
of magnitude less NOx than the hot channel produc-
tion, the volume of air processed by coronae and
streamers is much larger than the volume of the hot
channel.

It is also necessary to know the amount of energy
in a typical lightning discharge. Different types of

Table 1 Sources of tropospheric NOx (1012 g yr�15Tg yr� 1)

Fossil fuel burning B24

Biomass burning B8

Soil emissions B12

NH3 oxidation B3

Aircraft B0.4

Transport from stratosphere o0.4

Lightning 5–20
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lightning discharges (negative cloud-to-ground, posi-
tive cloud-to-ground, intracloud, intercloud, sprites)
have different physical characteristics. There are also
different ways to calculate energy (optical, electrical,
based on current, based on charge removed). Cloud-
to-ground flashes normally contain a number of return
strokes within each flash, with each subsequent return

stroke having less current than the first stroke,
however often more charge. Return strokes are
preceded by stepped leaders and dart leaders. Intra-
cloud discharges have leaders, but no return stroke.
Therefore, many different processes need to be con-
sidered regarding the energy of lightning and its
capability for producing NOx.

Figure 1 The 11�11 global distributions of lightning-produced NOx in January and July. (FromPrice C, Penner J and PratherM (1997)

NOx from lightning, 1. (Global distribution based on lightning physics. Journal of Geophysical Research 102(D5): 5929–5941.)
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For the cloud-to-ground discharge, it has recently
been shown that the energy of the discharge appears to
be related to the peak current of the lightning
discharge (B30 kA). Ground-based lightning detec-
tion networks around the globe typically record peak
current as one of their parameters, so it may be
relatively easy to estimate NOx production rates on a
routine basis. In addition, the first return stroke results
in the dissociation of theO2 andN2 in the channel, and
any additional strokes down the same channel will not
result in any additional dissociation, especially since
the subsequent strokes always havemuch smaller peak
currents (�50%of the first return stroke). So it appears
that the peak current of the first return stroke is the
most important factor to determine the energy of the
flash. It has been estimated that an average cloud-to-
ground discharge (with three return strokes) has an
energy of 6.7� 109 J. Intracloud flashes, which make
up�70% of global lightning, are different from cloud-
to-ground flashes since they do not have a return
stroke. However, there is very little information
regarding intracloud flashes, since the ground-based
lightning networks were designed to primarily detect
cloud-to-ground flashes. Nevertheless, we know that
the largest currents in the intracloud flashes (B3 kA)
are about an order of magnitude less than in the
ground flashes (B30 kA). Furthermore, there is evi-
dence that lower ambient pressures in the clouds may
reduce the amount of NOx produced. It is therefore
believed that the intracloud discharges have an order
of magnitude less energy than cloud-to-ground flashes
for producing NOx.

Global Contribution

In order to understand the importance of lightning
to atmospheric chemistry and climate, the above
estimates need to be translated into global numbers.
Large uncertainties are introduced in extrapolating
from an individual lightning flash to global scales to
determine the global production rate of NOx from
lightning.

We have recently gained great insight into the global
distribution of lightning from satellites, but we still do
not know accurately the frequency of global lightning
activity, since the satellites only sample a small fraction
of the total lightning. The estimates range from 30 to
100 flashes per second. From the spatial distributions
of lightning we know that globally lightning occurs
mostly over the tropical landmasses, with 75%
between 301N and 301 S. The three main regions of
NOx production from lightning are tropical South
America, tropical Africa, and tropical South-East Asia
(Figure 1). These centers of NOx production migrate
with the seasons, with 90% of the NOx production

being in the Northern Hemisphere in July, and vice
versa in January. Using the best estimates available
today, the monthly global production rates of NOx

from lightning are shown in Table 2, with July being
the month with the largest lightning production of
NOx (1.44Tg of nitrogen). Since there is more
landmass in the Northern Hemisphere, the Northern
Hemisphere summer has a lot more lightning than the
Southern Hemisphere summer, so that nearly twice as
much NOx from lightning is produced annually in the
NorthernHemisphere than the SouthernHemisphere.
This implies that even prior to anthropogenic influ-
ences on the Earth’s climate, there existed a natural
imbalance inNOx and hence troposphericO3 between
the hemispheres. On an annualmean basis the amount
of NOx produced by lightning is approximately
12Tg yr�1, with a range from 5 to 20Tg yr� 1 owing
to the above uncertainties.

As mentioned above, the effect of lightning-pro-
duced NOx on the climate system depends strongly on
where this NOx is deposited in the troposphere. At
higher altitudes,NOx has a lifetime of a few days,with
a large impact onO3 production and hence the Earth’s
longwave radiative forcing. It is therefore also impor-
tant to know at what altitudes NOx from lightning is
injected into the troposphere. NOx is relatively insol-
uble in cloud water, and therefore can be redistributed
within clouds by updrafts and downdrafts, and is not
easily removed from the atmosphere, due to scaveng-
ing by precipitation particles. Although the deposition
of NOx along the lightning channel may have a
uniform distribution with height, recent observations
and model simulations imply that after the thunder-
storm dissipates the lightning NOx profile has a C-
shaped distribution with large concentrations in the
upper and lower troposphere. This results from strong
updrafts and downdrafts transporting the NOx to the
anvils and the boundary layer. Owing to the long

Table 2 Global estimates of monthly and annual production of

nitrogen by lightning (Tg)

January 0.91

February 0.82

March 0.95

April 0.91

May 1.03

June 1.21

July 1.44

August 1.27

September 1.01

October 0.91

November 0.85

December 0.88

Annual 12.2
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lifetime of NOx relative to the thunderstorm lifetime,
it is not critical where the NOx is produced in the
storm, but rather where it ends up after the storm has
dissipated. Using the same NOx concentrations and
spatial distributions (Figure 1), but different vertical
profiles, will result in significantly different tropo-
spheric O3 concentrations, and hence climate forcing.

Nomenclature

HNO3 nitric acid
J joule
K Kelvin
kA kiloampere (103 ampere)
km kilometer
MJ megajoule (106 joule)
mol mole
N2 molecular nitrogen
NO nitric oxide
NO2 nitrogen dioxide
NOx NO and NO2

O2 molecular oxygen
O3 ozone
OH hydroxyl radical

ppbv parts per billion by volume
pptv parts per trillion by volume
s second
Tg terragram (1012 gram)
yr year

See also

Chemistry of the Atmosphere: Chemical Kinetics.
Climate: Overview. Convective Storms: Overview.
Lightning: Overview. Ozone: Ozone as a UV Filter;
Photochemistry of Ozone; Role in Climate.Stratospheric
Chemistry and Composition: Reactive Nitrogen (NOx

and NOy).
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MacGormanDRandRustWD(1998)TheElectricalNature
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Price C, Penner J and PratherM (1997) NOx from lightning,
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of Geophysical Research 102(D5): 5929–5941.
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Introduction

Magnetospheres are new magnetic structures discov-
ered during the space age by satellite-borne instru-
ments that made possible physical measurements in
distant regions previously not accessible. The first
magnetosphere discovered was Earth’s. Soon after-
ward, another discovery showed that space is not
empty as once thought but is filled with ionized gases
emanating from the Sun, stars, and other celestial
bodies with high temperatures. It then became evident
thatmagnetospheres are ubiquitous in space.What is a
magnetosphere, how is it formed, and what are some
of the important internal dynamics?

Let us first describe the environment in which
magnetospheres are found. In our solar system, for
example, the Sun’s coronal atmosphere is hot,�106 K,
and dynamic, so it expands into space. The expanding
solar coronal atmosphere is called solar wind and
consists mostly of hydrogen (�95% H1) and helium
(�5% He21) ions and an equal number of electrons.
Matter in the ionized state is called plasma and much
of known matter in the Universe exists as plasmas.
Since ionizedmatter is a good electrical conductor and
magnetic fields decay slowly in conductors, it was

immediately verified that the solar wind carries with it
solar magnetic fields into space. Space is therefore
permeated with magnetized plasma.

The solar wind is different from winds in the lower
atmosphere because it is always blowing. All of the
planets immersed in the solar coronal atmosphere are
interacting with it all the time. The electromagnetic
(EM) interaction induces large-scale currents and
forms magnetic cavities around magnetized planets.
These cavities are called magnetospheres. Except for
Mars and Venus, which do not have intrinsic magnetic
fields, the planets in our solar system all have magne-
tospheres. This article will focus on planetary magne-
tospheres and emphasize features that are associated
with Earth’s magnetosphere, which has all of the
elements to characterize a planetary magnetosphere
(Figure 1).

The lower boundary of a planetary magnetosphere
begins from that part of the atmosphere where ionized

constituents play an important role in the dynamics of

the upper atmosphere. For Earth, this boundary is

located at �100 km where the ionosphere begins

(ionospheres are formed by the Sun’s ultraviolet

radiation). The ionosphere is therefore part of the

magnetosphere. The outer boundary of the magneto-

sphere is called themagnetopause, and it separates the

domains of the planetary magnetic field and the solar

wind that blows outside it. Its location is determined

Solar wind

IMF

Magnetosheath

Magnetopause

20

−2020

−20

−40 −60 −80

Plasmasphere
Van Allen belts

Geomagnetic tail

Neutral sheet

RE

Plasma sheet

Shock
wave

Figure 1 A sketch of Earth’s magnetosphere in the noon–midnight plane. The dashed lines are the original dipole field. The solid lines

aremagnetic fieldsmodifiedbyexternal currents. IMFstands for interplanetarymagnetic field,which is of solar origin.Major featuresof the

magnetosphere are shown. (RE earth radius.)
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by the pressure balance between the solarwind and the
planetary magnetic field. On an average day Earth’s
magnetopause at local noon (subsolar point) crosses
the equatorial plane at �10RE (average Earth radius,
�6367 km), and at � 20RE in the dawn and dusk
sectors. In the antisunward direction, the magneto-
sphere has a magnetic tail. The geomagnetic tail
extends beyond 100 RE.

As the Sun’s coronal atmosphere expands into space
thewind speed increases, and near Earth’s position it is
�400 km s�1. This is faster than the speed of Alfven
waves in the solarwindmedium.Alfvenwaves, named
after the Swedish Nobel laureate Hannes Alfven, are
transverse magnetohydrodynamic waves travelling in
the direction of the ambient magnetic field. As with
objects that travel faster than the sound speed in the
terrestrial atmosphere, a shock wave forms in front of
Earth’s magnetosphere. The Alfven wave steepens
nonlinearly and a shock forms as the magnetosphere
plows through the super-Alfvenic solar wind. The
AlfvenMach numberMA is about 8, which makes the
Earth’s shock wave a strong shock. The shock wave
is detached and separated from the magnetopause by
�1 RE.

The regionbehind the shockwave is calledmagneto-
sheath and it extends to the magnetopause. The
magnetosheath is a turbulent region permeated by
large amplitudewaves and hot particles that have been
created in the shock formation. As in ordinary shocks,
the solar wind stream energy is converted to the
thermal energy. The solar wind speed in the down-
stream region just behind the shock is much reduced,
�50 km s�1. The solar wind speed picks up again
further downstream.

Inside themagnetosphere,VanAllen radiationbelts,
named after their discoverer, James Van Allen, are
found. These are divided into inner (ionosphere to
�4–5RE) and outer (�4–5RE to the magnetopause)
radiation belts. The inner radiation belt energetic
particles come fromneutrons produced by cosmic rays
that bombard the planet’s atmosphere. Neutrons are
unstable and have short lifetimes and they decay in
flight into protons, electrons, and antineutrinos. The
charged particles are captured by the planetary mag-
netic field. The primary source of Earth’s energetic
population in the inner radiation belt comes from
these cosmic ray albedo neutron decay (CRAND)
particles.

The source of the outer radiationbelt particles is tied
to solar wind and auroral disturbances which are
dynamic. The outer magnetosphere is sometimes
quiet, sometimes stormy, like the weather in the lower
atmosphere of Earth. But unlike terrestrial weather,
‘space weather’ is driven by electrical forces powered
by the disturbed solar wind connected to solar storms

that produce flares and coronal mass ejections (CME).
Spectacular auroral displays and intense radio emis-
sions that occur in the polar regions of the planet are
manifestations of space storms. The dancing lights of
aurora are atmospheric emissions excited by precip-
itating energetic electrons that bombard the Earth’s
outer atmosphere. The radio emissions are generated
by the unstable auroral particles.

Particles with millions of electron volt (MeV)
energies are frequently produced during large space
storms. These penetrating particles can impact on
mankind as they can disrupt communication, impair
satellite instrumentation and even cause damage to
spacecraft. Another havoc is that currents of several
million amps flow in the ionosphere during these
storms. These ionospheric currents induce strong
currents on the ground andhave caused power outages
in cities located in the auroral zone. A new practical
goal of magnetospheric research is to learn to forecast
space weather so as to forewarn when disruptive
storms will occur and to predict which storms accel-
erate particles to MeV energies.

Particles in space rarely collide, because the density
is so low and the mean free path so long. For example,
in the outer magnetosphere there are ten thousand or
so particles per cubicmeter and in the solar wind a few
million. The mean free path is of the order of an
astronomical unit, 1.5� 1011m. This unique feature
of the space system makes it different from other
particle systems where collisions are prevalent.

Many space phenomena are driven by ‘collisionless’
processes that involve collective interactions through
the long-range electromotive force. Very little is
known about these collective processes. Even though
it is known that the disturbed solar wind fuels auroral
and magnetic storms, the actual mechanism of how
the solar wind mass, momentum, and energy are
transported across the magnetopause is not yet
understood. The Earth’s shock wave is a collision-
less shock and, like ordinary shocks, it dissipates
energy. But the collisionless dissipation mechanism
is very different from the classical dissipation
mechanism where viscosity is produced by the
colliding particles. How viscosity is produced in a
collisionless process is a fundamental problem yet to
be solved.

Basic Equations

Understanding magnetospheres requires knowledge
of how EM fields interact with charged particles
and how large-scale currents are generated. The
fundamental equations that describe the physics
of magnetospheres are the Maxwell equations of
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electrodynamics,

= .B ¼ 0 ½1�

=3H ¼ Jþ qD
qt

½2�

= .D ¼ r ½3�

=3E ¼ � qB
qt

½4�

B is magnetic induction and is related to the magnetic
field intensity H by the constitutive relationship
B ¼ m0H, where m0 is the magnetic permeability of
free space and equal to 4p�10�7 Hm�1, D is the
electric displacement vector related to the electric field
E by the constitutive relationship D ¼ e0E where e0 is
the dielectric constant of free space equal to 8:85�
10�12 Fm�1, r is the charge density and J is the current
density. The equations for r and J are given by

r ¼
X
DV

qk
DV

½5�

J ¼
X
DV

qkvk
DV

½6�

where qk and vk are charge and velocity of the kth
particle. The summation is carried over a suitably
chosen small volume DV.

The velocity of the kth particle is obtained from the
Lorentz equation of motion,

mk
dvk
dt

¼ q Eþ vk 3Bð Þ ½7�

There are as many equations of motions as there are
particles and they are coupled through the electro-
magnetic fields. Equations [1]–[7] plus the constitutive
relationships define a system of charged particles and
EM fields. The physics of magnetosphere studies the
science of large-scale electromagnetic dynamics with
an extremely large number of particles, or alternative-
ly it can be viewed as a branch of statistical physics of
charged particles driven by electromagnetic forces.

Steady-State Magnetosphere

For an understanding of how magnetospheres are
formed, and of the physics of the interaction that
induces external currents strong enough to deform
and modify the planetary dipole field and excite the
dynamic activity inside the magnetosphere, eqns [1]–
[7] need to be solved self-consistently. But this is not
yet possible. Even though the density in space is very
small, a magnetosphere occupies a large volume and

particles are interacting through the long-range elec-
tromagnetic field.

Our present knowledge of the magnetosphere is
based primarily on the synthesis of various pieces of
magnetospheric elements that have been studied. A
quiet-time picture of the magnetosphere based on
time-independent formulation is given below. This
simple model is a reasonable starting point for
describing the more real magnetospheres.

Magnetic Field

The equations that govern the time independent
magnetic field are

= .B ¼ 0 ½8a�

=3H ¼ J ½8b�
The solution of these equations is

B rð Þ ¼ m0
4p

Z
J r0ð Þ3 r� r0ð Þ

r� r0j j3 d3r0 ½9�

where use wasmade ofB ¼ m0H. Equation [9] is Biot–
Savart’s law and it states that given the current density
J at r, we can obtain the magnetic field B everywhere,
or, given B, we can invert the equation and obtain the
source current J responsible for the magnetic field.

Equation [9] is difficult to use for the magneto-
sphere as awhole, because the particles contributing to
the source term J are not completely understood and
they have not been measured for all regions. Also,
spacecraft-borne magnetometers have measured B
over a large region of the magnetosphere but the
magnetosphere is dynamic and single-point measure-
ments made at different times are not easily related.

Information on J can be obtained if =�B can be
measured. This requires simultaneous measurements
with identical instruments from multiple spacecraft
that can measure gradients of the magnetic field. This
is one of the primary goals of the Cluster mission to be
launched in the summer of 2000 by the European
Space Agency (ESA). It is anticipated that Cluster
experiments will definitely improve our knowledge of
magnetospheric currents.

The Dipole Field

Webegin with the dynamo current interior to the solid
Earth, which is the source of the geomagnetic field.
The dipole field is a good approximation for describ-
ing the relatively stable magnetic field in the lower
region of themagnetosphere. The dipole configuration
also provides a standard of reference for many other
planets and celestial bodies.

Let the dipole moment of the planet be given byM.
In regions outside the planet, there are no currents,
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hence J ¼ 0.We can then letB ¼ �rC, whereC is the
magnetic scalar potential of a dipole given by

C ¼ m0
4p

M .=
1

r
½10�

Assume that Earth has a centered dipole moment M
(Figure 2). In spherical coordinate system with M ¼
�Mẑz (� for Earth), the three components of the dipole
magnetic field are

Br ¼ � m0
2

M

p
sin l
r3

Bl ¼ � m0
4

M

p
cos l
r3

Bf ¼ 0 ½11�
where for Earth M ¼ 8�1022 Am2; l is the latitude
(l¼0at theEquator) and r is the radial distance.Bf¼0

because the centered dipole is symmetric about f.
The magnitude of the field at ðr; lÞ is obtained from
[11] and is given by

B r; lð Þ ¼ m0
4p

M

r3
1þ 3 sin2 l
� �1=2 ½12�

which shows r�3 dependence of the dipole field
strength. A dipole has the strongest field at the pole
ðl ¼ p=2Þ and the smallest on the Equator l ¼ 0ð Þ.
Another useful relation is the equation of the locus of a
dipole field given by

r ¼ r0 cos2 l andf ¼ f0 ½13�
Here r0 andf0 are distance and longitude of the line of
force at l ¼ 0.

The dipole approximation is fairly good until about
4–5RE from the Earth. Further out, the magnetic field
begins to depart as the other current sources become
important.

Magnetopause

Consider now the dayside boundary of the magneto-
sphere. For simplicity, consider the boundary to be a
plane and assume the solar wind consists of electrons
andprotons. The planetarymagnetic field is in vacuum
(no particles in themagnetosphere) and the solar wind
is not magnetized (no interplanetary magnetic field).
The solarwindparticles that impinge on this boundary
are deflected by the Lorentz force. This creates a
boundary current running from east to west and
modifies the planetary field.

In Figure 3, the total magnetic field Bt produced by
the current just inside the boundary can be estimated
as

Bt ¼ Bd þ Bs ½14�
where Bd is the dipole field of the planet at that point
and Bs is the surface magnetic field produced by the
magnetopause current. Just outside the boundary,

Bt ¼ Bd � Bs ¼ 0 ½15�
Therefore,

Bt ¼ 2Bd ½16�
This result states that the current at the magnetopause
will produce a magnetic field whose intensity is twice
the value of the undistorted dipole field at that point. It
is based on an ideal model which stipulates the
planetary field to totally vanish inside the solar wind.

The magnetopause boundary separates the two
domains completely and there is no normal compo-
nent of the magnetic field in this model. This magne-
tosphere is essentially the model proposed by S.
Chapman and V. C. A. Ferraro in 1931 to explain
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Figure 2 The top diagram shows the contours of the planetary

dipole magnetic field. The magnetic moment for Earth points from

north to south. The bottom diagram shows the Earth-centered

coordinate system in which the dipole field is defined.
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terrestrial magnetic storms. This magnetosphere is
‘closed’ and particles cannot enter themagnetosphere.
If the boundary supports a normal component of the
magnetic field, it can lead to an ‘open’ magnetosphere
which allows the particles to enter the magnetosphere
from the solar wind (see ‘Dynamic Magnetosphere’
below).

If the boundary is curved then the same procedure
can be used, but now currents that give curved field
configurations need to be taken into account. Another
feature not incorporated in this simple pedagogic
model is that the real magnetopause includes a
boundary layer. How boundary layers can be pro-
duced in collisionless plasmas is still not understood.

We can estimate where the outer boundary is
located. Let the solar wind be specularly reflected at
the boundary. The transfer of momentum per particle
per collision is 2mVsw cos x, where m is the mass of
H1,Vsw the velocity of the solar wind, and x the angle
of incidence. The number of particles striking a unit
area of the boundary per second isNVsw cos x, where
N is the number density of the solar wind. Thus, the

total energy density of the particles perpendicular to
the surface is 2NmV2

sw cos2 x. At the magnetopause
boundary, we require a balance between the solar
wind and planetary magnetic energy densities. Hence,

2NmV2
sw cos2 x ¼ B2=2m0 ½17�

Typical values are Vsw ¼ 400 km s�1 and N ¼ 5�
106 m�3. Equation [17] then yields B � 70 nT for the
subsolar point, z ¼ 0. From equation [16], we see that
in the absence of the solarwind, the undistorted dipole
field has a value approximately � 35 nT. The surface
field of Earth is�0:32�10�4 T. Scaling this as l=r3, we
deduce the location for the magnetopause to be
�9:2RE. Observations show the subsolar magneto-
pause position varies typically between �9RE and
11RE.

Geomagnetic Tail

The solar wind imparts momentum on the planetary
magnetic field and creates a current such that when
superposed on the dipole field, the resulting field on the
antisunward direction has a tail-like geometry (Figure
1). The equation =3H ¼ J shows that a line or sheet
current in the x-direction with the current flowing
from dawn to dusk in the noon–midnight plane is
needed. Several functionalmodels have been proposed
to account for the tail geometry. One model of this
current is given by

Jy ¼ B0

m0L
sec h2

z

L
½18�

where B0 is the magnitude of the magnetic field at the
outer boundary and L the half-thickness in the z-
direction. This current is uniform in the y-directionbut
has a z-dependence. The magnetic field deduced from
eqn [18] yields

Bx ¼ B0 tanh
z

L
½19�

Themagnetic field is directed along thex-direction and
increases with z. The magnetic field vanishes at z ¼ 0.
This is the magnetic field free line (neutral line) that
results from the fields above and below that point in
opposite directions. While functional models provide
a useful picture of how the tail might be formed, the
structure of the real tail current is very complicated.
Although it is attributed to the solar-wind–geomag-
netic-field interaction, how the current is produced
and maintained is still unknown.

Electric Field

Understanding the origin of electric fields in magne-
tospheres is important because they can change
particle energies and also alter their trajectories. For
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Figure3 The top sketch shows a boundary in the noon–midnight

plane that separates the solar wind and the magnetosphere. The

currentat theboundary is out of thepage.Thebottomsketchshows

how the current is set up by the turning around of the solar wind

particles due to the Lorentz force.
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example, in the presence of an electric field perpen-
dicular to the direction of the magnetic field, the
particles drift across the magnetic field (further
discussion below).

The two Maxwell equations governing the electric
field for static magnetospheres are

= .D ¼ r ½20a�

=3E ¼ 0 ½20b�
The electric field can be defined in terms of the scalar
potential f;E ¼ �rf, which inserted in eqns [20]
yields Poisson’s equation,

r2f ¼ r ½21�
whose solution is

f rð Þ ¼ 1

4pe0

Z
r r0ð Þd3r
r� r0j j ½22�

where r0 is the location of the charge density and the
potential is evaluated at r. This is the Coulomb
potential that results from the charge density r.
Electric field is obtained by taking the gradient of f.
Although magnetospheres are populated by charged
particles, free chargesr are notmaintained (charges do
not accumulate in good conductors). Thus, eqn [22] is
not useful when considering large-scale electric fields
in space.

Large-scale electric fields in magnetospheres are
produced mainly by inductive effects. Michael Fara-
day in 1831 showed that an electromotive force
(e.m.f.) is induced when magnetic flux changes in
time or in space. In the magnetosphere, the inductive
field comes from motions of a plasma across a
magnetic field or rotation of a magnetized planet
through a plasma medium. These motions induce a
motional e.m.f., which is the primary source of large-
scale electric fields in space.

Motional Electric Fields

Electric and magnetic fields are measured on moving
platforms through a plasma medium which itself may
be inmotion. The relationship of electric andmagnetic
fields in the rest and moving frames of references is
given by the Lorentz transformation. For linear
motions and nonrelativistic case V=c � 1ð Þ, the rela-
tions are

E0 � Eþ V3B ½23a�

B0 � B ½23b�
Here the prime ð0Þ denotes a moving frame and V is

the velocity of that frame relative to the rest frame

(unprimed) and c is the speed of light. Magnetic fields
measured in the two frames are nearly equal, but
electric fields are different. Thus, it is necessary to
specify the coordinate frame in which the measure-
ments are made.

An important result of theLorentz transformation is
that if the velocity of the moving frame is given by

V ¼ E3B

B2
½24�

then E0 ¼ 0 and no work will be done on the particles
in that moving frame. This has important application
for plasma systems in motion. Consider, for example,
the motion of an arbitrarily shaped system of charged
particles in the magnetosphere. Lorentz’s result states
that if the motion of this plasma is given by eqn [24],
then E0 ¼ 0. Thus, the electric field vanishes in the
moving frame which is also the plasma frame of
reference. Equation [23a] then states

E ¼ �V3B ½25�
The electric field in the rest frame is related to the
vector product of the velocity of the plasma systemand
the magnetic field.

Equations [24] and [25] are equivalent expressions.
These equations state that if there is an electric field,
the plasma will move. Equivalently, if the plasma is
moving, there is an electric field. In a manner analo-
gous to the convective motion in fluids which arises to
equalize the nonuniform temperature, the plasma
motion arises to transform away the electric field
(charges) in the moving frame (plasma frame) because
free charges cannot bemaintained in good conductors.
In that sense, the plasmamotion in eqn [24] is referred
to as a convective motion.

If the coordinate frame is spinning, this frame is not
an inertial frame and the Lorentz transformation
theory is not valid. General relativity effects must be
taken into account.We state only the results here. The
relationships of EM fields are given by

E00 ¼ Eþ V3B ½26a�

B00 ¼ B ½26b�
where the double prime ð00Þ denotes the spinning frame
of reference,V ¼ x3 r andx is the angular frequency
vector. Equations [23] and [26] have the same form,
except that eqns [26] are exact to all orders in V=c,
whereas eqns [23] are only approximate.

Electric Field at the Magnetopause

In closed magnetospheres, Maxwell equations require
the tangential component of the electric field to vanish
at the boundary, in addition to the requirement of the
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absence of a magnetic normal component. The pres-
ence of a tangential electric field will allow particles to
drift across the boundary which is not permitted in
closed models. This contrasts the open model which
invokes a magnetic field merging process (see ‘Dy-
namic Magnetosphere’ below). In closed models,
particles can cross the boundary, for example, by
diffusive mechanisms.

Electric Field in the Plasma Sheet

The geomagnetic tail is populated by plasmas of the
solar wind and the ionosphere. When these plasmas
move, we can apply the above results to study the
behavior of the electric field. Although themotions are
generally turbulent, we will assume the motion is
laminar. Consider an observer on the equatorial plane
at rest observing the plasmamoving toward the Earth.
Equations [23] can be used to estimate the magnitude
and direction of the electric field. For example, in the
noon–midnight meriodinal plane, V is earthward and
B is upward, and thus the electric field E points from
dawn to dusk. The dawn–dusk electric field measured
during quiet solar wind and geomagnetic field is
�0:3�10�3 Vm�1. The origin of this large-scale
dawn–dusk field is thought to be the solar wind, but
themechanism for establishing this field across the tail
of the magnetosphere is not known.

Electric Field in the Plasmasphere

The Earth’s rotation is important for particles in the
lower region of the magnetosphere. This region,
dominated by the dipole field and populated mostly
by ionospheric plasmas, is called plasmasphere. The
plasmasphere starts from the ionosphere and extends
out to about 4–5RE in the equatorial plane. It thus
includes the inner radiation belt. The boundary of the
plasmasphere is called plasmapause. Outside this
boundary is the outer radiation belt.

The rotation of the planet induces an electric field in
the plasmasphere. Consider an observer at rest at
position r on the equatorial plane. Noting the plasma
is rotating with the planetary angular frequency they
apply eqns [26] to calculate the induced electric field.
Since the electric field in the rotating frame (plasma
frame) vanishes, they use

E ¼ � x3 rð Þ�B ½27�

to find the direction and magnitude of E. The result
shows the electric field is radially outward. Induced
electric field due to the rotation of the planet is also
known as the corotational electric field. The Earth’s
corotational electric field is � 0:5�10�3Vm�1 at
ionospheric heights.

Van Allen Radiation Belts

The motion of a charged particle is governed by the
Lorentz equation of motion given in eqn [7]. We can
study the behavior of a single particle using this
equation, neglecting the presence of other particles.
This test particle approachwill give us a sense of howa
charged particlemoves around inmagnetospheres and
howVanAllen radiation belts are formed. Sincewe are
ignoring the collective effects of interacting particles,
information on the dynamic behavior of magneto-
spheric particles in aurorae is not revealed.

Consider first the motion of a particle in a time-
independent magnetic field and assume there is no
electric field ðE ¼ 0Þ. The equation of motion is then
mdv=dt ¼ qv3B. In inhomogeneous magnetic fields,
B ¼ B rð Þ, this differential equation yields three types
ofmotion. The first is the cyclotronmotion around the
magnetic field. The cyclotron frequency of this circular
motion is oc ¼ qB=m and the cyclotron radius is
rc ¼ mv?=qB. Here v? is the magnitude of the particle
velocity perpendicular ð?Þ to the magnetic field
direction. In terms of the pitch a of the particle, the
angle between the particle velocity v and the magnetic
field B; v? ¼ v sin a.

The second type of motion comes from particles
with a 6¼ p=2. These particles can move along the
direction of the magnetic with vk ¼ v cos a. Here k
denotes parallel to B. In an inhomogeneous magnetic
field such as the dipole field, the field becomes stronger
as the particle gets closer to the planet. The particle
orbit winds tighter as it approaches the stronger field
region and it also encounters a force that pushes the
particle back in the direction from which it arrives.
This results in ‘mirroring’ of the particles, which
bounce back and forth between the Northern and
Southern Hemispheres.

The third type of motion comes from particles
travelling on magnetic fields that are curved and not
uniform in the radial direction. Particles travelling on
curved magnetic fields experience a centrifugal force.
Particles in fields that are not uniform experience a
continually changing cyclotron radius. Both of these
effects result in particle drifts in the azimuthal direc-
tion, westward for positively charged particles and
eastward for negatively charged particles. The curva-
ture and gradient drift velocities are energy-depend-
ent, with higher energy particles drifting faster.

In the presence of electric fields, the motions
described above must now be augmented with the
effects of electric fields. Consider a time-independent
electric field given by E ¼ Ek þ E?, where the k and ?
are directions relative to the direction of the magnetic
field. The effect of Ek is to accelerate or decelarate
particles travelling along the magnetic field. E? gives
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rise to a drift in the azimuthal direction given by eqn
[24]. A peculiar feature here is that the drift is the same
for 1 and � particles and also independent of the
mass, charge, and energy of the particles.

In summary, the total motion of particles in mag-
netospheres consists of a superposition of the cyclo-
tron motion, bounce motion and the drift motion. In
the absence ofEk these are energy-conservingmotions.
In the outer radiation belt at synchronous altitudes
(�6:6RE geocentric) for example, the electron cyclo-
tron frequency is � 1kHz, the bounce period for
40 keV electrons is � 1 s, and the drift period is �2
hours. For the ions, the cyclotron frequency is smaller
by the ratio of electron to ion mass, the bounce
frequency by the square root of the mass ratio, and the
drift times are same for the same energies.

The lifetime of the magnetospheric particles is
determined by how close they approach the planetary
atmosphere. If they approach close to the planetwhere
the atmospheric densities are sufficiently high, so that
they collide with them, then these particles will be lost
into the atmosphere. These are called precipitated
particles and they are the source of atmospheric
emissions responsible for aurorae at high magnetic
latitudes. If the particles bounce at sufficiently high
altitudes where collisions are infrequent then these
particles can persist for a long time and drift around
the magnetosphere many times. These particles are
trapped particles and they form the Van Allen radia-
tion belts.

Dynamic Magnetosphere

Contrary to the static magnetosphere described
above, the real magnetosphere is time-dependent and
very dynamic. As an example, we describe phen-
omenologically what happens when the solar wind is
moderately disturbed. The magnetopause boundary
moves in and out in response to the solar wind
variations. The boundary is no longer smooth but
is modulated with surface waves, reminiscent of
atmospheric and ocean waves in stormy weather.
These magnetopause waves could be excited by the
Kelvin–Helmholtz instability mechanism owing to
the presence of the large solar wind velocity shear
across the boundary. Inside the magnetosphere,
particles are injected from the plasma sheet into
the outer radiation belt, and trapped Van Allen
particle intensity and energy increase by orders of
magnitude. This happens when the tail current
abruptly disrupts and the geomagnetic field returns
for a short time to the dipole shape. The trapped
particle intensity increases considerably during mag-
netic storms and the particles form a ‘ring current’ at

�4RE strong enough to affect the terrestrial magnetic
field measured on the ground. In the polar ionosphere,
brilliant and wild auroral displays luminate the night
sky accompanied by the roaring of natural electro-
magnetic radio waves that are emitted over millihertz
to megahertz frequencies. The geomagnetic tail wags
and flaps like a wind sock on awindy day. An observer
in the interplanetary space sees the magnetosphere
soaring through the heliosphere with bright flickering
lights, resembling a comet.

Unable to solve eqns [1]–[7] in a self-consistent way,
space researchers have thus far obtained only approx-
imate solutions. For this reason, the picture of the
magnetosphere is incomplete. The approach most
commonly used has been to treat the collisionless
space plasmas as a magnetohydrodynamic (MHD)
fluid and then solve the mass, momentum, and energy
conservation equations using the variables of density,
velocity, and temperature. MHD theory has provided
insight into the ways the solar wind flows and how
magnetospheres respond to the solar wind. An impor-
tant paradigm of the MHD theory is that interplan-
etary and Earth’s dipole magnetic fields can ‘merge’,
which opens the magnetosphere so the solar wind can
enter. This innovative concept was introduced by
James W. Dungey nearly 40 years ago. The physics of
merging requires a kinetic treatment which has not yet
been solved.

A limited number of dynamical processes have
been studied from the kinetic point of view, assuming
that an ensemble of collisionless particles can be
defined in terms of the distribution function. One then
solves the Boltzmann transport equation coupled to
the EM equations. This approach has been most
fruitful in the study of the microphysics of wave–
particle interactions and instabilities. Progress has
beenmade towards understanding themicrophysics of
auroras observed at ionospheric heights, andmuch has
been learned about the structure of aurorae, how
particles are accelerated in the ionosphere and how
certain types of radio emissions are excited. The full
kinetic formulation has not however been applied to
problems of large-scale global spatial structure and
dynamics, and this will remain at the forefront of
magnetospheric studies.

Among the important dynamic problems to be
studied in magnetospheres include how the solar wind
gets into the magnetosphere, how the particles are
accelerated in the magnetosphere, how electric fields
are set up in the geomagnetic tail, how the magneto-
sphere and the auroral ionosphere are coupled, how
global currents can be generated during auroral storms
to reconfigure the entiremagnetosphere andhow some
of the solar wind energy is captured to produce the
global aurora.
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Introduction

The mesoscale is an intermediate regime between the
larger, synoptic scale and the smaller scales of bound-
ary layers, turbulence andmicrometeorology. The fact
that the mesoscale is an intermediate regime is
reflected in the physical processes that influence
mesoscale systems. While synoptic-scale systems can
be regarded as being close to geostrophic balance, and
smaller-scale systems are variously independent of
Coriolis force, compressibility or nonhydrostatic
effects, at the mesoscale we cannot immediately
neglect any components of the equations of motion,
except for effects associated with the Earth’s curva-
ture. In a sense, the mesoscale could be defined as
the regime in which all the components of the

dynamic and thermodynamic equations may be im-
portant. By necessity, this article refers in only super-
ficial detail to a wide range of phenomena and
processes, each of which is discussed in more detail
in separate articles.

Since it spans a range of phenomena and processes,
the mesoscale is often subdivided into the rather
unmemorable categories of

� meso-a: 200–2000km (e.g., secondary frontal cy-
clones),

� meso-b: 20–200 km (e.g., mesoscale convective
systems),

� meso-g: 2–20 km (e.g., cumulonimbus cells).

Since these categories are in order of roughly increas-
ing Rossby number (defined asRo5U/fL, withU and
L the velocity and length scales and f the Coriolis
parameter), they correspond to a decreasing impor-
tance of planetary rotation and balanced dynamics.

The relegation of mesoscale systems to a transition
zone between larger and smaller scales of the atmos-
phere is to belie the fact that the mesoscale exhibits a
majority of the interesting, observable weather sys-
tems. These include cumulonimbus cells and com-
plexes, a variety of frontal structures, and various
coherent flows relating to topography or coastal
regions. These systems are fascinating as remarkably
coherent and repeatable structures in a nonlinear and
complex dynamical regime of the atmosphere, but
are also important practically, being responsible for
damaging storms (such as squall lines, supercells,
mesoscale convective complexes, secondary frontal
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cyclones, polar lows, and downslope windstorms),
rainfall distribution, and significant inhomogeneity in
local weather conditions. In addition, cumulonimbus
convection and active fronts are the two families of
systems responsible for rapid vertical transport of
trace gases from the boundary layer to the upper
troposphere and lower stratosphere: although such
systems are poorly resolved or parameterized in
global-scale models, they are critical to global-scale
chemical transport.

Increasing computer power over recent decades has
led to a rapid increase in the possibilities for numerical
simulation of mesoscale phenomena. In the area of
cumulonimbus convection, for example, simulations
of evolving cloud systems have been able to explore the
sensitivity of such systems to environmental parame-
ters, with useful benefit to forecasting. As remarked
above, these kinds of simulations tend to contain all
the components of the dynamic and thermodynamic
equations, since they relate to a scale where nothing
can be wholly neglected, and are often termed ‘full
physics’ simulations. Indeed, simulations of mesoscale
convective systems are performed using large eddy
simulations incorporating explicit cloud microphysics
as well as the influence of the Coriolis acceleration.

Until recently, the resolution of global-scale models
has meant that representation of mesoscale systems
has by necessity involved subgrid parameterization.
Currently, however, the horizontal resolution of oper-
ational models is intruding into the mesoscale, and we
are left with a delicate balance between what is
resolved and what is parameterized: if a model has a
resolution of 40 km and the coherent convective
structures are of a similar scale, they are neither well
resolved nor well parameterized.

Despite the increasing possibilities of mesoscale
numerical modeling, the observed coherence of meso-
scale structures points to the importance of idealized
and intuitive interpretations of the atmospheric dy-
namics, and this remains an active area of research.
The simple model of the density current, for example,
is very efficient at obtaining robust estimates of the
propagation characteristics of small-scale fronts, is
intuitively easy to understand, and requires some
considerable effort to better with a numerical model.

Mathematical Description of Different
Mesoscale Regimes

The only universal simplification appropriate to all
mesoscale systems is to neglect effects of the Earth’s
curvature and consider an f-plane version of the
‘primitive equations’ (which represent a shallow layer
on the quasi-spherical Earth). The resulting equations

of motion can be cast in different forms, depending on
the choice of vertical coordinate: here they will be
stated in physical height coordinates. The vector
momentum equation is

Du

Dt
þ fk�u ¼ �gk� 1

r
rpþ qtij

qtj
½1�

whereu is the vector velocity,k the upwardunit vector,
g the acceleration due to gravity, r the density, p the
pressure, and tij the Reynolds stress tensor, with the
summation convention assumed for this last term. The
system also requires a thermodynamic equation,

Dy
Dt

¼ S ½2�

where y is the potential temperature and S is a
thermodynamic source term (say due to radiative
flux convergence or phase changes of water and
including a term according to the divergence of the
turbulent flux of potential temperature) and conser-
vation of mass, or continuity,

Dr
Dt

þ rr � u ¼ 0 ½3�

Turbulence Closure

The momentum and thermodynamic equations in-
volve turbulent fluxes on the right-hand side, which
need to be obtained by some form of turbulence
closure. Although a great deal of effort can be
expended on dealing with the turbulent terms, there
are no schemes which are entirely satisfactory. The
most reliable approach for numerical modeling is
regarded tobe large eddy simulation, inwhich, crudely
speaking, a spatial resolution is chosen to resolve the
anisotropic scales of eddies, with the assumption that
smaller (isotropic) scales can be dealt with effectively
by a relatively simple turbulent scheme. In practice,
the resolutions required by this method, on the order
of meters, mean that computational demands are
extremely high.

For some flows, such as small-amplitude buoyancy
waves, the turbulence terms will be very small, but
mostmesoscale systems involve turbulentmixing to an
important degree.

Simplifications to the Continuity Equation

In most instances the continuity equation may be
simplified using the assumption of subsonic flow, to
the anelastic form,

r � ðrruÞ ¼ 0 ½4�
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in which rr(z) is a reference density which depends
only on height, z. If, as in the case of a sea breeze
current, the vertical scale of themotion is small relative
to the scale height,

H ¼ RT

g
� 8 km ½5�

where R is the gas constant for air and T is a mean
temperature for the atmosphere, it is possible to use
the incompressible form,

r � u ¼ 0 ½6�
There are few instances where one of these approxi-
mations will not be valid, but it should be recalled that
deep waves in the atmosphere have speeds which scale
approximately with the vertical wavelength. In a
quiescent atmosphere of constant static stability,
the maximum group and phase speeds of buoyancy
waves are

c ¼ N

m
½7�

where N is the Brunt-Väisälä frequency and m
is the vertical wavenumber: for a wave with a single
maximum in the troposphere this can be of the order
of 50m s� 1, while for a wave with a first maximum
at the tropopause it can be 100m s� 1. Further
refinements to the continuity equation exist, and
have been proposed to take into account such very
deep motions.

Hydrostatic Balance

It is often possible to assume a state of hydrostatic
balance, provided the vertical scale of the motion is
significantly smaller than the horizontal scale, which
tends to imply themeso-a regime. This is, for example,
applicable to most scales of frontal dynamics, but not
to the circulations in a cumulonimbus storm. For
inertia-gravity waves, the applicability of hydrostatic
balancedepends on the aspect ratio of thewaves, being
suitable when the ratio of horizontal to vertical
wavenumbers, k/m, is small.

The Boussinesq Approximation

This approximation amounts to neglecting density
variations in inertia terms but retaining them from the
point of view of buoyancy, which is valid when the
vertical scale of the motion is much less than the scale
height, H. A basic state density field rr(z), dependent
only on height, is then incorporated into a modified
pressure function. This is very convenient in that it
retains the simplicity of uniform, incompressible
dynamics, while accommodating buoyancy varia-
tions. There are several versions of the Boussinesq
approximation: typically it leads to momentum equa-

tions of the form

Du

Dt
þ fk�u ¼ g0k�rfþ qtij

qxj
½8�

where f5 p0/rr is the modified pressure and g0 is the
buoyancy.

Semi-geostrophic Theory

The semi-geostrophic (SG) model is a refinement of
quasi-geostrophic (QG) dynamics, to allow for short
lengthscales in the region of a synoptic front. This
approach, although based on balanced dynamics, is
thought to work effectively in quasi-two-dimensional
frontal zones down to scales of tens of kilometers, and
is therefore one of the few areas where analytical
theory has been able to bridge the mesoscale regime.
Broadly, SG frontal dynamics involves an along-front
component of the wind, vg, in geostrophic balance
with the cross-frontal pressure structure, but also
accommodates advection by the ageostrophic cross-
frontal and verticalwinds (a feature that is absent from
QG dynamics). This is made analytically more trac-
table by transformation to a geostrophic momentum
coordinate,

X ¼ xþ vg
f

½9�

where x is the cross-front direction. The transforma-
tion between coordinate systems can develop a singu-
larity in finite time, andmathematically it is this which
leads to the formation of frontal singularities in the
model; physically, it is the process of advection by the
ageostrophic winds which leads to the enhanced
frontogenesis.

SGmodels are based on a thermalwindbalance, and
can conveniently be solved by inversion of a conserved
(in the absence of diabatic processes) potential vorti-
city function. This procedure fails when the potential
vorticity becomes negative, a condition which implies
slantwise instability of the atmosphere.

Higher-order balancemodels have also been applied
tomesoscale phenomena such as organized convective
systems.However, the prevalence of latent heating and
turbulent processes, as well as the difficulty of apply-
ing a balance condition at high Rossby number, have
meant that the use of potential vorticity concepts is less
common to mesoscale systems than it is in synoptic
analysis.

Tour of Mesoscale Phenomena

Buoyancy Waves

Often termed ‘gravitywaves’, these patterns occur as a
universal response of the stably stratified atmosphere
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to mesoscale perturbations. They propagate with
components in the vertical and horizontal, and are
modified strongly by the vertical structure of both
stratification and horizontal wind. For shallow
waves, for which k/m becomes small, the waves are
increasingly influenced by the Coriolis terms, and are
known as inertia-gravity waves. Two characteristic
regimes of solution are upward-propagating waves,
which carry energy and momentum upwards away
from the wave source, and trapped waves, where a
wavelike region is bounded by an evanescent layer,
leading to ducting of the waves in the horizontal.
Although simple, linear buoyancywave solutions for a
quiescent, Boussinesq atmosphere are relatively easy
to obtain, for real profiles it seems that a detailed
consideration of the full vertical profile is necessary in
order to diagnose the correct buoyancy wave charac-
teristics.

In regions of orography, vertically propagating
waves tilt backwards against the mean flow
(Figure 1A), and the resulting shift in the streamlines
contributes to downslope acceleration of the wind. In
conditions of trapping (Figure 1B), lee waves can
propagate significant distances downstream and can
often be seen in low-level cloud patterns. Such
lee waves give rise to local regions of low-level
convergence, which may occasionally initiate moist
convection.

Deep convection forces waves propagating both
upward into the stratosphere and horizontally in the
troposphere: deepmodes in the troposphere propagate
at speeds upward of 50m s� 1 and evidence of wave
trains forced by convection has been observed in
microbarograph arrays. The horizontally propagating

waves act to modify the environment of the convec-
tion, through adiabatic warming and cooling, and are
one mechanism whereby the convection communi-
cates its thermodynamic forcing into its environment.
The primary mode of response to the convective heat
source is downward motion, warming the environ-
ment, but the vertical structure of the heating (includ-
ing forcing due to downdraught cooling) forces modes
of different vertical structure. As in the case of
orographic waves, there is an important possibility
of ducting if waves are trapped in the troposphere.

Generationof buoyancywaves byorography andby
convection, and the subsequent momentum flux con-
vergence when the waves break, are thought to be
significant processes in the global circulation, yet
neither source is well represented in global models.
Diagnosis of the relevant wave regime is not easy, and
waves may propagate long vertical or horizontal
distances, equivalent to many model grid lengths,
before breaking.

Cumulonimbus Convection

Cumulonimbus storms are the most dramatic of cloud
features, and are a vital component in the atmospheric
circulation. Individual cumulonimbus cells occur on
horizontal scales of around 10 km and commonly
extend to the tropopause, over a time scale of an hour
or so. However, it is common for cumulonimbus
systems to self-organize into a mesoscale convective
system (MCS) with a significantly longer life cycle:
squall lines in west Africa can persist for 48 h and
propagate for thousands of kilometers across the
continent.

Cumulonimbus storms involve rapid and active
microphysical transitions, on time scales of a few
minutes, yet can organize into a significant degree of
geostrophic balance, so these systems can truly
encompass the whole mesoscale atmospheric regime.
In terms of mathematical representation, the strong
up- and downdraughts in these storms, combinedwith
intense turbulence and their great depth, mean that
none of the mathematical approximations outlined
above can comfortably be applied (although the
anelastic approximation may be used if the fast
buoyancywave response is not critical to the solution).
Cumulonimbus systems also involve other distinct
mesoscale flows as components, or responses to the
forcing. The buoyancy wave response has been
discussed above; other component flows include the
cold pool and gust front. Evaporation in the precip-
itation-driven downdraught leads to the cold pool of
air at the surface, and this propagates like a density
current, of around 1 km depth, into the environmental
boundary layer. Forced lifting at the gust front acts to

Streamlines

Hill

Upstream tilt

(A)

(B)

Hill

Streamlines

Figure 1 Schematics of streamlines over a hill in the cases of (A)

upwardwavepropagationand (B)wave trapping. In (A) thewave tilt

with height contributes to a wind speed maximum in the lee.
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trigger new convective cells (Figure 2). Although the
gust front spreads in all directions outward from its
source, the lifting is optimized in a given direction in
relation to the ambient wind, and this in turn feeds
back on themorphology of the cumulonimbus system.
When two gust fronts from adjacent storm cells
collide, they produce enhanced lifting at the region
of collision. The regeneration of cumulonimbus
storms at the gust front is an intriguing way in which
the most turbulent, nonlinear and irreducible of
atmospheric flows can be understood in terms of
relatively simple, coherent components.

In some cases, extremely intense downdraughts lead
to downbursts and microbursts, which produce ex-
tremely intense gusts at the surface, and are a severe
hazard for aircraft. The interaction between boundary
layer shear and differential lifting at the gust front is
also thought to lead to precursor vortices for tornado
development.

Sea Breezes and Other Thermally Generated Winds

The sea breeze is an example of a flow generated by the
relatively rapid generation of a baroclinic zone (den-
sity gradient). Warming of the land surface after
sunrise is rapid, while the sea surface temperature
remains almost constant, so the boundary layer inland
becomes relativelywarmover the space of a fewhours.
This leads to a baroclinic overturning (Figure 3A) and
the development of a flow resembling a density
current, as a cold sea breeze front pushes inland. The
front may be perceived in cloud formed due to the
forced ascent, or in visibility changes. Continued
heating of the land surface means that there is likely to

be relatively strong convective turbulence inland,
which tends to dissipate the sea breeze front and
render it a more diffuse baroclinic zone. However, as
the surface heating diminishes in the evening, the
convective turbulence decays and the front may
intensify and propagate further inland.

A density current in the atmosphere is in a state of
balance between the pressure gradient force due to the
density change across the front, and drag on the
current due to turbulent stresses (principally Kelvin–
Helmholtz instability at the head). However, the sea
breeze is also influenced by the Coriolis acceleration,
over a time scale 1/f, and can be expected to turn with
the Coriolis acceleration as the day progresses. Sea
breezes are quite sensitive to the larger-scale flow, and
will not develop if the ambient winds are strong.

After sunset it is possible for a land breeze to
develop, as the land surface cools more rapidly than
the sea surface. However, the ensuing surface inver-
sion,which suppresses turbulence, does not develop as
deeply as the daytime convective boundary layer, so
the land breeze tends to be less active than the sea
breeze.

On sloping terrain, the diurnal cycle of surface
heating leads to baroclinicity relative to the back-
ground air, and tends to cause upslope, or anabatic,

Low level wind

Gust front

Cumulonimbus
storm

New
cell

Figure2 Plan view of an idealized cumulonimbus system.A new

cumulonimbus cell is often formed at the gust front, in a direction

determined by the low-level wind and shear structure.

Adiabats

Barolinic overturning

Katabatic flow

Sea breeze

Baroclinic
overturning

Adiabats

Sea Land(A)

(B)

Figure 3 Baroclinic tendencies in horizontal vorticity lead to

thermally driven flows: (A) the sea breeze and (B) a katabatic,

downslope wind.
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flow in the daytime and downslope, katabatic, flows at
night (Figure 3B). Again, these flow regimes only
develop under conditions of light ambient wind, but
when they do occur they may dominate the local
meteorology. Accurate representation of these flows in
numerical models requires close attention to surface
and boundary layer conditions.

Synoptic Fronts

The fronts that form within synoptic cyclones exhibit
length scales far shorter than those of the parent
system, and are controlled by a spectrum of dynamical
processes, so that synoptic fronts are really mesoscale
features. Their genesis is well represented in primitive
equation simulations, but is best understood in SG
theory, which predicts the collapse of a synoptic
thermal gradient to a singularity in finite time, and
thereby can diagnose the point at which the frontal
surface becomes unstable in terms of low Richardson
number. Subsequent to this point it is assumed that a
real front is in a state of balance between Coriolis
force, thermally derived pressure gradient forces, and
turbulent stresses.

In addition to the interplay between balanced and
turbulent forces at the front, most synoptic fronts are
characterized by significant cloud and precipitation
features, which can have a first-order influence on the
dynamics. Cold fronts, in particular, tend to trigger
cumulonimbus convection, which in turn generates
strong downdraughts and gust front structures at the
surface: a number of observations of the low-level
structure of active cold fronts has shown them to
resemble a density current quite closely. Sometimes, a
frontal zone is composed of a number of rain bands,
aligned almost parallel to the front, whose nature can
resemble that of a squall line. Rain bands have been
attributed to a number of processes, such as condi-
tional symmetric instability. Synoptic fronts, then, can
span the range of mesoscale phenomena.

One of the important features of the SG model of a
synoptic front is that the system remains a continuous
feature – a zone of smooth changes in the atmospheric
properties – up to the time at which a singularity
occurs. Since these fronts form as components of a
baroclinically unstable wave, the front may propagate
as a wavelike phenomenon, and there is an important
possibility of material transport through the frontal
zone. This behavior is observed and has important
consequences for chemical transport: a front is not
a barrier to airflow. This, in conjunction with the
rapid vertical motion due to the cross-frontal circula-
tions and the frontal cloud features, means that
synoptic fronts are important agents of transport in
the atmosphere.

Mesoscale Cyclones

Vortices occur on all scales in the atmosphere, and
those on the mesoscale are particularly important in
terms of observable weather. As ever in this regime,
mesoscale vortices are formed and influenced by the
whole spectrum of physical and thermodynamic
processes. Secondary cyclones commonly form on
the synoptic fronts of parent cyclones. These second-
aries can develop by baroclinic instability of the parent
front, but may also have a significant or even domi-
nant component of barotropic instability, arising from
the horizontal shears at the front. Such systems may
develop explosively and cause significant damage. The
horizontal scales of these secondary cyclones range
from the synoptic scales right down to scales of tens of
kilometers or less.

In addition to the formation of cyclones through
dynamical energy conversions, cloud processes can
contribute significantly to the energetics of cyclogen-
esis. Equivalent static stability is generally lower than
dry stability, so the growth rate of baroclinicwaves in a
saturated atmosphere is faster than the dry growth
rate, and the length scale of the resulting cyclone is
shorter. Tropical cyclones, including hurricanes and
typhoons, also lie within the mesoscale regime. These
extreme weather systems have been the subject of a
great deal of research and forecasting effort overmany
years, yet remain difficult to predict. Their dynamics
are dependent on many processes in the atmosphere,
including balance, moist convection and radiative
fluxes, as well as complex ocean–atmosphere interac-
tions. Polar lows occur in high latitudes, usually
associated with the rapid release of latent heat where
cold air moves from the ice sheets over a relatively
warm ocean, but also may derive energy from baro-
clinic conversions. Mesoscale convective systems,
which appear through convective self-organization,
developmesoscale cyclones in their lower levels over a
period of a few hours. On the meso-g scale, the strong
ascent which develops in cumulonimbus storms can
lead to mesocyclones though tilting, stretching, and
baroclinic generation of vorticity. It appears that
mesoscale vortices can occur on all scales, but in
many cases there have as yet been too fewobservations
of such vortices to categorize them properly, and the
balance between dynamic and thermodynamic energy
sources for cyclogenesis across the spectrum of scales
is still not well understood.

See also

Baroclinic Instability. Boundary Layers: Modeling
and Parameterization; Overview. Buoyancy and Buoy-
ancy Waves: Optical Observations; Theory. Coastal
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Meteorology. Cold Air Damming. Convective Cloud
Systems Modelling. Convective Storms: Convective
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Introduction

When viewed from satellites, large weather systems
such as extratropical and tropical cyclones are often
composed of clouds that organize on the mesoscale in
linear features called bands. From a radar perspective,
precipitation falling from these clouds also organizes
along lines.Meteorologists use the term ‘squall line’ to
describe a line where the precipitation originates from
thunderstorms produced by strong convective up-
drafts. The term ‘precipitation band’ is used to
describe an area of precipitation that typically origi-
nates from updrafts that are either nonconvective or
weakly convective and is sufficiently elongated that an
orientation can be assigned. Precipitation bands are
called ‘rainbands’ and ‘snowbands’ depending on the
type of precipitation they produce. When precipita-
tion echoes appear on radar in several long lines or
bands, the weather system is said to exhibit banded
structure. If bands of heavier precipitation appear
within a larger field of widespread precipitation, they
are often called ‘embedded bands’.

The structure, intensity and orientation of precip-
itation bands in extratropical cyclones are primarily
related to forcing occurring along frontal zones. In
tropical cyclones, rainbands outside the eyewall are
related to forcing associated with the relative motion
of the vortex through its environment and to inertia-

gravity waves. Precipitation bands also exist far from
cyclones. For example, precipitation bands can form
and sometimes align along topographical features,
such as mountains and islands, or can be forced by
variations in surface heating, such as along coastlines
or over the US Great Lakes in winter. Precipitation
bands organize on the mesoscale, and range in width
from about 5 to 250 km, and in length from tens to
over a thousand kilometers. Precipitation bands have
time scales that range from less than an hour to more
than a day. These scales are usually determined by
scales of the forcing mechanisms that trigger and
maintain them.

Band Classification

Extratropical Cyclones

The taxonomy used to classify precipitation bands in
extratropical cyclones arose primarily from studies of
cyclones in coastal locations of the United States, the
British Isles, and Japan. This classification, shown in
Figure 1, consists of six major band groups and is
based on the physical relationship of the bands to
frontal boundaries. The narrow cold-frontal rain-
band, typically about 5 km wide, is aligned with the
surface position of the cold front. On satellite images,
the band often appears as a narrow ropelike cloud that
can extend hundreds or even thousands of kilometers
along the surface cold front. Updrafts associated with
forced convection can exceed5m s� 1within the band,
and locally heavy rain can occur as the band passes.
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From a radar perspective, the narrow cold frontal
rainband often consists of small ellipsoidal cores of
heavier rainfall oriented about 30–351 to the cold
front, separated by gaps of lighter rainfall. These
regularly spaced precipitation cores and gaps are
believed to develop as a result of horizontal shearing
instability associated with strong wind shear across
the frontal interface. Occasionally, the updrafts in the
precipitation cores have been shown to produce weak
tornadoes. Wide cold-frontal rainbands develop be-
hind the surface cold front. These bands, which form
within the warm air rising along and over the frontal
surface, are about 50 km wide and are parallel to the
front. The updrafts in these bands are generally much
weaker than the narrow cold frontal rainband, on the
order of 0.5m s� 1 or less. Warm frontal rainbands
have similar physical characteristics to wide cold
frontal rainbands, except that they develop north of
the surface warm front, as warm air from the south
overruns and rises over the cold air. They are typically
parallel to the surfacewarm front, are often embedded
in lighter precipitation, and have updrafts with mag-
nitudes similar to those of wide cold-frontal rain-
bands.

Mature oceanic and continental cyclones often
appear as well-defined comma-shaped cloud patterns
on satellite pictures. These comma-shaped cloud
patterns are characterized by a sharp boundary aloft
between cool, dry air subsiding from the upper
troposphere and moist air rising from the lower
troposphere. This boundary, which appears on infra-

red satellite images as a sharp line demarking high and
shallow or sometimes no clouds (e.g., Figure 2),
typically occurs ahead (east) of the surface cold front
and has been described in meteorological literature as
an overrunning upper-level cold front, a pre-frontal
cold surge, a cold front aloft, or as a split front. The dry
air behind this boundary is called the dry slot. The
passage of the upper level front is characterized by a
sharp drop in equivalent or wet-bulb potential tem-
perature, which is always associated with a sharp
reduction in relative humidity and sometimes with
a reduction in temperature. The organization of

Upper
cloud
boundary

Cold air

Convective
clouds

Surge
bands

Warm-frontal
bands

Cells

Small areas

PrecipitationWarm
sector
band

Warm air

Post-fr
ontal band

Wide cold-fro
ntal band

Narrow cold-fro
ntal band

Lower
cloud
boundary

LL
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associated with a mature extratropical cyclone. (From Houze
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precipitation ahead of the upper level front (at the
leading edge of the dryslot) depends on the stability
and vertical wind shear in the moist air ahead of the
front. In oceanic and cold-season continental cy-
clones, a rainband, called the pre-frontal cold surge
rainband or cold-front aloft rainband, typically de-
velops along or slightly ahead of this boundary (Figure
2A). This rainband can extend hundreds of kilometers.
In warm-season continental cyclones, the moist air
ahead of the front is often unstable and the vertical
shearmay be significant. In these cases, a squall line or
a line of supercell thunderstorms may be triggered
ahead of the upper level cold front (Figure 2B).
Convection, organized in bands, can also develop
behind the upper-level cold front, where enhanced
radiation (due to the dry, cloud free air aloft within the
dry slot), along with moist low-level surface air can
create extreme thermodynamic instability.

Awide band of precipitation typicallywraps around
the northwest quadrant of the low-pressure center of
mature cyclones (Figure 3). In continental winter
cyclones, this band often produces moderate to heavy
snowfall and is responsible for major winter storms
and blizzard conditions. Smaller bands of heavier
snowfall, often aligned along the mid-tropospheric
thermal wind, are sometimes embedded within the
broader wraparound precipitation region. As a cy-
clone decays, the band typically elongates and nar-
rows under the influence of background deformation
flow.

All of the bands described above occur within the
general envelope of clouds that compose the cyclone’s
comma cloud pattern. With the exception of the
narrow cold frontal rainband, these bands are general

enhancements of stratiform precipitation that charac-
terizes the comma-cloud pattern. Bands also occur in
the cyclone’s warm sector, ahead of the primary
cyclone cloud pattern. When they occur, these bands
are called warm sector rainbands. Bands well behind
the surface cold front are called post-cold frontal
rainbands.

Tropical Cyclones

Concentric and spiral bands of clouds and precipita-
tion are among the most striking features of a mature
tropical cyclone. The classification of precipitation
bands in tropical cyclones, shown in Figure 4, has been
developed primarily from studies of hurricanes over
the North Atlantic Ocean. In some tropical cyclones,
particularly intense hurricanes, precipitation inside a
radius of about 100 km from the vortex center tends to
be axisymmetric, with convection organized in one or
more concentric rings. These rings, called the outer
and inner eyewalls, contract toward the center of the
vortex as a hurricane intensifies. With time, the outer
ring replaces the inner ring, leading to cyclic changes in
central pressure. Precipitation organizes in spiral
rainbands outside the radius of the outer eyewall in
stronger hurricanes, and sometimes into the eyewall
radius in weaker tropical cyclones. Unlike the con-
centric eyewall rainbands, precipitation in the outer
spiral bands can be either stratiform or convective in
nature. A large rainband, called the principal band,
often extends fromnear the radius of the outer eyewall
to the outer radius of the hurricane cloud pattern. This
bandnormally occurs on the east side of a cyclone. The
principal band typically has cellular convection along
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Figure 3 Radar image of a precipitation band in the north-west quadrant of a cyclone on 8 January 1998. This band produced heavy

snow across the state of Michigan.
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its axis, a clear region along its concave side, and
stratiform precipitation falling from an anvil-like
feature on its outer side.Other bands, called secondary
bands, are found on either side of the principal band.
These typically contain shallow convection and vary
significantly in intensity. Sometimes short rainbands,
called connecting bands, are present between the
principal and secondary bands. A distinct connecting
bandoften joins the principal band to the eyewall. This
band contains either stratiform precipitation or weak
convection. These bands together are termed the
stationary band complex, since they move slowly, if
at all, relative to the vortex. Tropical storms also
contain smaller-scale banded precipitation features
that propagate outward relative to the vortex.

Mechanisms Leading to the Formation
of Banded Features

Extratropical Cyclones

Several mechanisms have been advanced to explain
the existence of banded precipitation regions within
extratropical cyclones. These include frontal lifting

and/or frontogenetic circulations, moist symmetric
instability, boundary-layer convergence, gravity
waves, topographic effects, and seeder–feeder pro-
cesses. While it is difficult to generalize which of these
mechanisms will explain the formation of a specific
precipitation band, there is considerable evidence that
the aforementioned mechanisms are among the most
important ones.

Frontogenesis Banded features in extratropical cy-
clones are associated with vertical circulations organ-
ized along lines. Frontogenesis, a primary forcing
mechanism for these verticalmotions, is the process by
which the thermal and moisture gradients between air
masses are concentrated into narrow zones called
fronts. During frontogenesis, cloud and precipitation
producing transverse vertical circulations are gener-
ated, with ascending motion, concentrated into a
quasi-linear narrow zone parallel to a front, on the
warm side of the front. Frontogenetic circulations
have been studied using quasi-geostrophic and semi-
geostrophic theory, two of a hierarchy of approxima-
tions to the fundamental governing equations. The
most realistic of these theories uses the semi-geo-
strophic system of equations, with inclusion of latent
heat release to simulate the effects of condensation.
From a quasi-geostrophic perspective, the intensifica-
tion of the cross-front thermal gradient by background
geostrophic deformation, leading to warm and cold
advection on opposite sides of the front, destroys the
thermal wind equilibrium. The atmosphere tries to
restore the thermal wind equilibrium by generating a
secondary circulation that produces vertical and
ageostrophic motions that counter the effects of
frontogenesis. During this process, adiabatic cooling
is generated by the risingmotionon thewarm side, and
adiabatic warming is produced by the sinking motion
on the cold side of the front, partially negating the
effects of frontogenesis. Semi-geostrophic theory takes
into account the characteristically different length and
velocity scales in the along-front and cross-front
directions by including the effects of thermal advect-
ion by the ageostrophic flow, effects that are ignored
by quasi-geostrophic theory. In addition, the inclusion
of moisture in the semi-geostrophic equations ac-
counts for effects of latent heating associated with
condensation on the warm side of the front. The
resulting semigeostrophic frontal circulations include
a more intense, narrow, sloped updraft on the warm
side of the front (Figure 5), a frontal surface that tilts
in the vertical toward the cold air, and a stronger
thermal gradient near the surface than in quasi-
geostrophic theory. The orientation, scale, and vertical
motions associated with certain rainbands found in

Figure 4 Schematic illustration of the radar reflectivity in a

Northern Hemisphere tropical cyclone with a double eyewall and

outer bands. (Reproduced with permission from Willoughby

(1988). Copyright Commonwealth of Australia.)
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the vicinity of fronts qualitatively match these
theoretical predictions.

Boundary layer convergence The most prominent
example of rainbands associated with boundary layer
convergence is the narrow cold frontal rainband.
Under the influence of deformation flow and the
accompanying frontogenesis, the thermal gradient at a
cold front sometimes collapses to a near-discontinuity
at the surface. When this collapse occurs, the air
behind the cold front takes on characteristics of a
density current, and strong localized convergence
occurs at the front. A sharp, narrow updraft develops
in the warm air ahead of the front as the warm air rises
over the advancing density current. The resulting
rainband, the narrow cold frontal rainband discussed
above, often contains updrafts exceeding several
meters per second and produces locally heavy rain.
Studies of the narrow, cold frontal rainband in oceanic
regions have shown that the warm air lifted by the
density current is often stable or very slightly unstable,
indicating that the updrafts are forced rather than due
to free convection. The depth of the updrafts is limited
to the depth of the forced ascent, usually nomore than
3–5 km. The updrafts in the narrow cold frontal
rainband are often complicated by small vortices that
form along the wind-shift line associated with the
advancing density current. Shearing instability is
believed to be the principal mechanism for the
formation of such vortices. The updrafts then organize
in discrete precipitation cores, separated by gaps.
Narrow, cold frontal rainbands are not as common
in continental cyclones as they are in oceanic cyclo-
nes, probably because the air ahead of cold fronts is
more likely to be potentially unstable and,when lifted,

produce squall lines or other deep convective
phenomena.

Ducted gravity waves Gravity waves are buoyancy
oscillations in a stably stratified fluid where the
restoring force is gravity.Gravitywaves are ubiquitous
in the atmosphere, but most are not large enough in
amplitude to trigger precipitation bands. This is
because atmospheric gravity waves are highly disper-
sive, propagating vertically and rapidly losing their
energy to the upper atmosphere. As a result, gravity
waves normally cannot travel very far from their
source before they no longer have sufficient energy to
lift air to the lifting condensation level and trigger
clouds and precipitation. A particular class of gravity
waves, termed ducted gravity waves because their
energy is trapped in an atmospheric duct, has been
associated with precipitation bands. Ducted gravity
waves require very specific conditions that include (1)
a sufficiently deep low-level stable layer that can
accommodate a quarter vertical wavelength of the
wave; (2) a deep moist neutral layer above the stable
layer; and (3) a critical level above the stable layer,
where the mean wind speed in the direction of
propagation equals the wave phase speed. These
conditions most commonly occur north of warm
fronts associated with cyclones, but have been ob-
served in other environments. When these conditions
exist, theory predicts that wave energy will be trapped
within the duct, thus allowing the wave to propagate
long distances. If the wave amplitude is sufficiently
large, the vertical motion induced by the wave can be
sufficient to trigger a precipitation band. For rain-
bands to occur, the atmosphere above the stable layer
must be near saturation, a common condition over
warm frontal surfaces. The structure of a propagating
ducted gravity wave is shown in Figure 6. The location
of greatest rising motion, where a precipitation band
would be triggered, is a quarter of a wavelength
upstream from the location of lowest pressure.
Observations of precipitation bands in conditions
where ducting is favorable often show this relationship
in surface precipitation and pressure traces, suggesting
that these bands may be forced by ducted gravity
waves.

Moist symmetric instability Moist symmetric insta-
bility is a two-dimensional, semi-geostrophic meso-
scale instability in which both gravitational and
inertial body forces determine the stability of a
displaced air parcel. The term symmetric refers to a
basic state and resulting circulations that do not vary
in a particular horizontal direction, e.g., along a
baroclinic zone. In the Northern Hemisphere, the
condition for inviscid, inertial instability is qmg=qxo0
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Figure 5 Ageostrophic stream function about a front obtained by

solving the semi-geostrophic Sawyer–Eliassen equation for a case

of deformation forcing under moist conditions. Height ðzÞ and

distance ðxÞ are expressed in nondimensional units. (Reproduced

with permission of the American Meteorological Society from

Emanuel (1985).)
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where mg ¼ vg þ fx is the geostrophic absolute mo-
mentum, vg is the geostrophic wind in the direction
perpendicular to the temperature gradient, f is the
Coriolis parameter, and x is the cross front distance,
increasing toward warmer air. The condition for
conditional instability is that dynev=dzo0 at a level
where Gmo� dTv=dzoGd. Here ynev is the saturation
virtual equivalent potential temperature, Tv is the
virtual temperature, and Gm and Gd are, respectively,
the moist and dry adiabatic lapse rates. In an atmos-
phere where the lapse rate of ynev is negative when
evaluated along a surface of constant mg, a saturated
air parcel can be inertially stable to horizontal
displacements qmg=qx > 0

� �
and gravitationally sta-

ble to vertical displacements dynev=dz > 0
� �

, but
unstable with respect to slantwise displacements.
The release of this instability, termed conditional
symmetric instability, has been suggested as a mech-
anism for the development of banded structure in
frontal precipitation. In situations where the atmos-
phere is unsaturated, butmay be brought to saturation
by lifting (for example, during frontogenesis), the
potential for slantwise instability to occur can be
evaluated by identifying regions where the gradient of
the virtual equivalent potential temperature along an
mg surface, dyev=dz Mj ; is � 0. This condition is iden-
tical to the equivalent potential vorticity being nega-
tive. Potential and conditional symmetric instability
are both types of moist symmetric instability (MSI).
Bands associated with MSI are aligned along the
thermal wind, move with the environmental flow, and
have spacing that is related to both the depth of the
unstable layer and the slope of the moist isentropes.
Figure 7 shows a schematic cross-section through an
environment susceptible to MSI. The slantwise ascent
within the bands occurs between the slope of the mg

and ynev surfaces. Observations in regions of banded
precipitation in frontal systems have often found that

dynev=dzjmg
� 0, suggesting that the atmosphere may

have undergone symmetric overturning, reaching a
state of moist slantwise neutrality.

Tropical Cyclones

Tropical cyclones can be considered dynamically to
consist of two distinct regions, an inner core where
accelerations due to relative rotation dominate over
the Coriolis force, and an outer region where the
Coriolis force is comparable to rotation in influencing
storm dynamics. As a result, in the inner gyre the air
trajectories form closed paths, whereas in the outer
region they do not. The boundary between these
regimes appears to be the boundary between bands
that appear as concentric rings, such as the eyewall,
and outer bands, composed of a stationary band
complex and moving convective spiral bands. The
location of the boundary between these two re-
gimes varies with hurricane strength, so the stationary
band complex tends to occur nearer the center of
weaker hurricanes and on the peripheries of stronger
hurricanes.

Analyses of hurricane structure obtained from
aircraft penetrations suggest that the principal band
lies along the flow streamline separating two distinct
regions of the storm. On the concave, or inner, side of
the principal band, moist high ye air lies within the
closed vortex circulation of the hurricane and orbits
the center several times during its residence time
within the vortex (see Figure 8).On the convex outside
of the principal band, somewhat drier lower ye

W

c

C

F H R L

Z

c
F
...

x

Figure 6 Idealized vertical cross-section of a linear plane gravity

wavewith no base current, propagating to the right at speed c. The

heavy sinusoidal line is a representative isentropic surface or a

temperature inversion. Surface pressure extrema are labeled H

and L, while cold and warm temperature anomalies are denoted C

and W, respectively. (Reprinted with permission of the American

Meteorological Society from Bosart and Sanders (1986).)

z

�ev

�v

∗

∗∗

mg + ∆mg

�v + ∆�v

�ev + ∆�ev

mg

LCL

LFS

LNB

x

Figure 7 Idealized example of a vertical cross section in the

Northern Hemisphere, normal to the thermal-wind vector, showing

surfaces of constant mg (solid lines) and saturation virtual equiv-

alent potential temperature, ynev In this example, ynev increases with
height (conditional stability), mg increases with increasing x

(inertial stability). The lifting condensation level, level of free

slantwise convection, and level of neutral buoyancy are denoted

LCL, LFS, and LNB, respectively.

1248 MESOSCALE METEOROLOGY / Cloud and Precipitation Bands



environmental air remains in the vortex circulation for
less time than that required to orbit the center once.
The principal band develops as a result of the relative
motion of the vortex through its environment. In the
environment of low-level easterly winds, the relative
motion of the vortex leads to a region of concentrated
low-level convergence along the streamline where
environmental flow encounters the rotating flow
within the vortex. Connecting bands generally have
stratiform characteristics, although they may contain
shallow convection. A stratiform band will result if a
plumeof ice particles originating from the eyewall falls
through the 01C level after spiraling outward at upper
levels of the storm.The connecting bands in hurricanes
generally sharply cross low-level streamlines, suggest-
ing that they arise from this process.

Propagating bands also exist in tropical storms.
These bands appear to be associated with inertia-
gravity waves propagating outward from the core
vortex. Radiating gravity waves are believed to be
generated during oscillations of the storm track. These
track oscillations are thought to be excited both when
tropical storms encounter land and by normal-mode
oscillations of the hurricane vortex.

Other Precipitation Bands

Although precipitation bands most commonly appear
in extratropical and tropical cyclones, they also

develop outside these circulations, primarily forced
by variations in topography and surface conditions.
Flow over or around topographic features, such as a
mountain range or an island, can create elongated
zones of convergence and vertical motion that create
precipitation bands. For example, the Island of
Hawaii, which consists of two volcanic mountains
exceeding 4000m elevation, lies in the north-easterly
TradeWind regime of the North Pacific Ocean. As the
Trade Winds encounter Hawaii, they are unable to
flow over the island because of an inversion at the top
of the Trade Wind layer and must, instead, flow
around the island. At night, cool drainage flow
originating in the higher elevations of the island often
flows offshore on the east (upwind) side of the island
and meets the incoming Trade Winds. The boundary
between the drainage flow and the Trade Winds leads
to a persistent zone of convergence, which forces
vertical motion, clouds, and precipitation. The defor-
mation of the Trade Wind flow around the island
organizes the precipitation into rainbands that align
approximately parallel the shoreline, as shown in
Figure 9.

Variations in surface properties can also lead to the
formation of precipitation bands. In fall and winter
months, when cold, arctic airmasses move across
warmer water bodies such as the Great Lakes,
lake-effect snowstorms may occur. Under suitable
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conditions of lake–air temperature difference, wind
speed and direction, extent of fetch over the lake, and
environmental stability upstream of the lake, strong
organized convective precipitation bands may devel-
op. Specifically, three morphological types of precip-
itation bands have been identified to occur over the
Great Lakes in wintertime. They are wind-parallel
bands, shoreline bands, and mid-lake bands. For
example, when air over the lake is very cold, and
winds are either weak or parallel to the long axis of the
lake, a long precipitation bandwill sometimes develop
near the center of a lake approximately parallel to the
lake’s shores (Figure 10). This banddevelops as a result
of a land breeze circulation between the lake and its
shorelines. Air residing over the lake, heated by the
warm lake surface, becomes unstable and rises. Cooler
air flows inward from both shorelines to replace the
rising air. The air from shore, in turn, is heated as it
flows over the lake. A circulation develops, with air
flowing inward over the lake, rising in a narrow zone
at the lake center, and returning shoreward aloft while
slowly descending. On the other hand, shoreline
bands, which are usually weaker thanmid-lake bands,
develop along or close to the shoreline of a lake, when
winds have a cross-lake component. Such lake-effect
snowbands have been shown to result in locally heavy
snowstorms in the lee of the lakes.

Other local topographic and geographic features,
such as mountains, shorelines, islands, and bays,
frequently induce vertical motions organized along
lines. The precipitation bands that form often have
characteristics unique to the specific region, but can
have a significant local impact on rain or snowfall.

See also

Buoyancy and Buoyancy Waves: Theory. Clouds:
Classification. Convection: Convection in the Ocean.
Convective Storms: Convective Initiation. Cyclogene-
sis. Frontogenesis. Fronts. Hurricanes. Instability:
Symmetric Stability. Lake Effect Storms. Land–Sea
Breeze. Mesoscale Meteorology: Mesoscale Convec-
tive Systems; Models; Overview. Radar: Precipitation
Radar.
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Introduction

Amesoscale convective system (MCS) is an organized,
multicellular convective weather systemmarked by an
extensive mid–upper-level stratiform cloud shield.
Tropical convection and warm season convection in
midlatitudes is most often organized into mesoscale
systems with a length scale of 100–1000 km and
typical lifetimes of 6–12 h. The definition encompass-
es a continuous spectrum of phenomena including
midlatitude squall lines, mesoscale convective com-
plexes, tropical squall and non-squall clusters, small
multicellular storms, and even some tropical cyclones.

These systems have garneredmuch attentionmainly
because of their strong impact onheavy rainfall, severe
weather, and vertical transport. This article describes,
in turn, their structure, life cycle, large-scale environ-
ment, global distribution, impact on heating and
moisture transport, chemical transport, and electricity.

Structure and Life Cycle

Midlatitude Squall Lines (Linear MCS)

The term ‘squall line’ applies to any line of rapidly
moving thunderstorms including large multicellular
storms organized along a line, i.e., a linear MCS with

length scales of 1000 km along the line and 100 km
normal to the line. Squall lines are the most common
type of midlatitude MCS and severe lines are most
frequent in the spring, producing twice as many
tornadoes, highwind, and hail asmore circularMCSs.

Spring squall lines have four primary modes of
genesis that all evolve into a quasi-linearMCS.A radar
investigation of 55 major rain events over six spring-
times in Oklahoma showed that most MCSs have a
contiguous region of deep convective elements and an
associated region of stratiform rain. The precipitation
pattern comprises a continuous spectrumofmesoscale
structures. Initial organization is into convective lines
that are followed by stratiform rain regions with
slantwise front-to-rear ascent and rear-to-front de-
scent (Figure 1). Two-thirds of the systems were
classified as asymmetric, a categorization more appli-
cable to an MCS stage than type. Typical surface
features are pre-squall mesolow (due to subsidence
warming in the mid-to-upper troposphere), mesohigh
(due to heavy precipitation and convective-scale
downdrafts), and wake low (due to subsidence
warming and as a surface manifestation of the
descending rear inflow jet).

Another study of 88 MCSs over the Great
Plains during 1996–97 found that 60% had leading
line/trailing stratiform structure. However, signifi-
cant percentages had stratiform rain ahead of the
convective line or stratiform rain parallel with the
line.
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Figure 1 (A) Schematic diagram of the relative airflow and physical processes associated with a squall line MCS. (Reproduced with

permission from Rutledge (1991). Adapted from Houze et al. (1989).) (B) Schematic diagram of the airflow in the stationary dynamical

model showing the three flow branches, namely jump updraught A, downdraught B, and overturning updraught C. Branches have

piecewise constant densities rB � rA � rC with rA ¼ rB ¼ rC in the archetypal model.
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Mesoscale Convective Complex (MCC)

TheMCC is a convective system with horizontal scale
in the range 250–2500 km that meets size, shape, and
duration criteria based on infrared satellite data
(Table 1). Their association with devastating flash
floods has been recognized since the late 1970s.
Although it does not describe all ‘MCC-type’ systems,
the definition succeeds in identifying the largest, long-
lived convective systems that are important for
hydrometeorological purposes.

One of the most intriguing aspects of MCCs is that
all populations (Appendix) exhibit a nocturnal life
cycle. First thunderstorms usually develop in the

mid-to-late afternoon, a single organized system
initiates by early nighttime, reaches its maximum
extent after midnight, and dissipates shortly after
daybreak (Figure 2).

MCCs exhibit mean cloud shield areas of
350 000 km2 and persist for an average of 11 h.
Oceanic systems are, on average, slightly larger and
longer lasting. Not surprisingly, size and duration are
positively correlated with summer correlation values
nearly twice the spring and fall. It appears that
convection organized on scales of order 25–250 km
that occurs early in the growth phase distinguishes the
relatively long-lived MCCs from other shorter-lived
MCSs. Strong growth within the first 3 hours is a
strong predictor of the maximum extent and duration
of MCSs.

In contrast to the uniformed cloud top signature,
MCC precipitation is highly varied. In the 1985
Oklahoma–Kansas Preliminary Regional Experiment
for STORM-Central, 12 MCSs (75%) matched the
MCC criteria and displayed asymmetric precipitation
patterns. Although the internal structure of some
MCCs resembles linear MCSs, the surface weather
differs significantly. Squall line passage is noted for
more precipitous temperature, dew point, and wind
changes than MCCs, which have longer periods of
steady rain and rain showers.

Peak precipitation rates (over 25mmh�1) occur in
the 2–6 h period after initiation and favor the Equa-
torward, andwarmmoist air supply, side of the storm.
The growth stage is sometimes rife with hail, high
winds, and tornadoes. As the cloud system matures,
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Figure 2 Life cycle of the global population of MCCs (- - - - - - 1st thunderstorm; –– initialization;Fmaximum extent; – - termination).

Table 1 MCC definition (Adapted with permission from Maddox

(1980))

Size (A) Cloud shield with IR temperature

r � 321C must have an area

Z 100000 km2

(B) Cloud shield with IR temperature

r � 541C must have an area

Z 50000 km2

Initiate Size definitions A and B are first

satisfied

Duration Size definitions A and B must be met

for a periodZ 6 h

Maximum extent Continuous cold cloud shield

(IR temperaturer �321C) reaches
maximum size

Shape Eccentricity (minor axis/major axis)

Z 0.7 a time of maximum extent

Termination Size definitions A and B no longer

satisfied
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the overall rain rate decreases, becomes more strati-
form, and the rain area expands. The stratiform
rainfall, 30–40%of the system total, is associatedwith
mesoscale ascent inside clouds extending upwards
from the melting level. A 10-year study of extreme
warm season rainfall found that 22% of extreme
rainfall in the central US occurred in MCCs, although
less than 9%of all precipitation observations occurred
in MCCs. Thus, MCCs produce extreme rainfall at a
far greater rate than that produced by other sources.

MCCs and smaller circular MCSs contribute
30–70% of the growing season precipitation in the
US Central Plains, an important societal benefit. Note
that, with the exception of size, no significant differ-
ences in characteristics exist between MCCs and
slightly smaller quasi-circular MCSs. Other locations
with largeMCCpopulations, like south-easternChina
and Sahelian Africa, rely on deep convection for a
significant portion of their summer rainfall.

Mesoscale Unorganized Convection (MUC)

Deep convection also aggregates into indiscriminate
clusters thatmove as a groupbut donotmerge into one
large well-organized system. These MUCs are defined
to have a cumulative cloud area of the same size and
duration as MCCs within a 51� 51 box with individ-
ual cluster lengths of less than 100 km. Distinguishing
among environments that produceMUCs, squall lines,
and MCCs (Figure 3) is important for forecasting
purposes.

Tropical Squall and Non-Squall Clusters

A tropical squall cluster or squall line is identified
by a line of vigorous convective cells extending for

hundreds to thousands kilometers along its major
axis. Squall clusters move rapidly westward as a
continuous disturbance or family of systems that
propagates for several days. Similar to midlatitude
squall lines with trailing stratiform region, someWest
African squall clusters could be classified as MCCs
from a satellite perspective. Amazon squall lines,
meanwhile, tend to elongate over time. Table 2
summarizes the climatology of various squall line
populations.

Squall line passage is noted for a distinct roll cloud
followed by a sudden wind squall. Heavy rainfall then
sets in, often producing 30mm of rainfall in 30min.
Vigorous convection is then replaced by stratiform
rainfall (about 40% of system total) continuing for
several hours. Beneath the melting level, evaporative
cooling of precipitation drives mesoscale downdrafts
in the wake of the squall.

Tropical non-squall clusters occur more frequently
than squall clusters and possess more varied precipi-
tation structures although their precipitation life cycle
is similar to that of squall lines and MCCs.

Large-Scale Environments

Midlatitude Squall Lines

Squall lines are observed frequently in thewarm sector
of amidlatitude cyclone, usually about 100–300 km in
advance of the cold front (Figure 4). Divergence ahead
of an upper-level trough induces low-level conver-
gence. The advection of warm air in the lower
troposphere sometimes accompanied by cold advect-
ion in the upper level jet stream provides a source of
instability.

Over the US southern plains, low–mid-tropospheric
warm, dry air from the Mexican plateau meets
the warm, humid air from the Gulf of Mexico
along a moisture boundary known as the ‘dry
line’. Dry air intrusion produces a capping inversion
that leads to great instability and the sustenance
of long-lived squall lines. This scenario is common
elsewhere, like east of the South African escarpment.
Seacoasts and lines of wind shear also generate squall
lines.

Increasing mid–upper-level shear marks squall
line environments. Large quantities of dry air are
entrained into the rear of the system, cooled, mois-
tened, and sink, thereby strengthening the downdraft.
The resulting gust front enhances the system updraft
and leads to greater intensity and longevity. The
organization of the mature system is governed
strongly by the balance between the vertical wind
shear and the strengthof the coldpool generatedby the
downdrafts.

Figure 3 Enhanced IR images of a mesoscale convective

complex, mesoscale unorganized convection, and squall line at

2100 UTC, 25 August 1987.
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MCCs

MCCs initiate within prominent baroclinic zones (like
stationary fronts) characterized by locally large values
of lower-tropospheric vertical wind shear and convec-
tive available potential energy (CAPE, Appendix).
Typically, a low-level jet of air with low static stability,
high equivalent potential temperature (ye), oriented
nearly perpendicular to the baroclinic zone, intrudes
into the genesis region and is forced to ascend over a
relatively shallow, surface-based layer of relatively
cool air (Figure 5). Pronounced warm advection
accompanied by strong lower-tropospheric veering
overlays the surface-based cool layer. A local maxi-
mum in absolute humidity and a local minimum in
static stability mark the favored region for the forma-
tion of the convective system. Low-level convergence,
upper-level divergence, and an approaching midlevel
vorticity maximum related to a weak short-wave
trough are also characteristic of the mean genesis
environment. In most instances, an upper-level jet is
present in the near vicinity of the genesis region.

The thermodynamic structure and flow of the mean
MCC environments suggest that low-level slantwise
ascent along sloping potential temperature surfaces in
regions of lower-tropospheric warm advection is an
inherent part of most MCC environments. The low-
level warm temperature advection coupled with dif-

ferential cyclonic vorticity advection force upward
motion throughout the troposphere, with maximum
values near mid-troposphere.

Although most MCCs form in conjunction with
frontal lifting, a significant number (about 40% in the
US) develop on the warm side of the baroclinic zone
(Figure 6). Several studies have demonstrated that a
favorable combination of a convectively generated,
surface cold pool and substantial low-level vertical
wind shear can be instrumental in producing long-
lived convective weather systems with a deep layer of
slantwise ascent and a large stratiform cloud region
without large-scale forcing. Figure 7 presents concep-
tual models of MCC configurations. Figure 7A is
similar to the squall line arrangement, except that,
because of an LLJ, the ambient shear in the cold pool is
opposite to the squall line case. As a result, the cold-
pool-induced circulation always has the same sign as
the ambient shear. This device is also likely in
Northern Australia MCCs that have weak baroclinic
forcing. Nevertheless, it is unlikely that this latter
mechanism would dictate the organization of most
MCCs. This is becausewhen the convection originates
from an elevated layer overrunning a large-scale cold
stable layer it is difficult for moist downdrafts to
penetrate to the surface and accrue into a mesoscale
cold pool (Figure 7B).

Mature MCCs contain three distinct circulations: a
large, cold, and shallow anticyclone in the vicinity of
the tropopause, a boundary layer cold mesohigh, and,
in the midlevels, strong latent heating, convergence,
and a mesoscale updraft. MCCs moisten a deep
tropospheric layer, and amplify the midlevel short-
wave trough as it adjusts to latent heating. The LLJ
strengthens, veers, and helps to maintain high mois-
ture and maximum conditional instability in the
south-western flank of the system (region susceptible
to floods). An anticyclonically curved upper-level jet
streak develops to the north of the MCC. Near
maximum mean upward motion, upper-tropospheric
divergence, and vorticity occur throughout themature
stage and is maintained through the decay stage.

Once outside the region of conditionally unstable
air and low-level warm advection, the system de-
cays leaving a significantly modified environment

Table 2 Climatology of tropical squall lines (Adapted with permission from Cohen et al. (1995))

Region Average propagating

speed (ms� 1)

Lifetime (h) Average

displacement (km)

Length (km) Width

(km)

West Africa 14.8 39.7 2100 750 433

East Atlantic 14.6 9.7

Amazon Basin 16 16 2000 1400 170

Venezuela 13 3.5 150 98 29

LLJ

Ribbon
of warm
moist air

Squall
line

divergance

Upper-le
vel

trough
300 mb

Jetstream

Upp
er

-
lev

el
rid

ge

Upper-le
vel

Figure 4 Schematic of the large-scale features associated with

midlatitude prefrontal squall lines.
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extending beyond the MCC boundary, including an
amplified midlevel short-wave trough and high upper-
tropospheric heights and wind perturbations.

Low-level jet and movement of MCCs The presence
of LLJs in all the mean MCC environments implies
that the jet may be important in establishing the
organizational mode of mesoscale convection. De-

tailed investigations of MCCs in China and the US
have shown that pronounced convergence occurs at
the apex of the jet and that vertical motion from the jet
dramatically increases moist convective instability.
Furthermore, the temporal evolution (evening into
early morning) and the orientation of the low-level
jet closely parallel the nocturnal life cycle and move-
ment, respectively, of MCSs. Sloping terrain-induced
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circulations seem less important to the organization of
US squall lines, which tend to initiate further east and
earlier in the day than MCCs.

In general, MCCs tend to move with the mean
700–500hPA flow (parallel to thickness isopleths) due
to the propagation characteristics of the meso-b-scale
elements (MBEs). Environmental wind variations
(like the LLJ) and the inflow thermodynamics can
cause departure from these rules. As the system
matures, MBEs move about 451 to the right of the
mean flowdue, in part, to themodification of themean
environmental winds by the MCC. Extreme-right
movers account for about 25% of US MCCs and
produce severe, straight-line, damaging winds known
as derechos.

MUCs

These small systems form in weak synoptic regimes
with high moisture availability, moderate to high
CAPE, a broad area of high ye air, and conditional
instability. MUC environments possess necessary
conditions for deep convection but lack the strong
low-level convergence zones and upper-level diver-
gence needed to form long-lasting, large MCSs.

Tropical Squall Clusters

The dominant forcing of squall clusters in the western
Pacific and tropical Atlantic is convergence in the
intertropical convergence zone. Systems observed
during the Global Atmospheric Research Program
(GARP)Atlantic Tropical Experiment (GATE) formed
several hours after large-scale convergence was estab-
lished and moisture flux increased in the low–middle
troposphere. Post-squall environments are character-
ized by lower-tropospheric warming and drying.

Squall clusters also occur with easterly waves that
are noted for having low-level convergence, diver-
gence above 200 hPA, and nondivergence in between.
They normally form ahead of the easterly wave
trough, move at about twice the speed of the wave,
and tend to die just behind the ridge. Amazon squall
lines have addedmesoscale forcing from the sea breeze
front.

Figure6 Examples of two types ofNorthAmericanMCCs: one in

Canada on the cool side of the stationary front (dominant type) and

another in the US southern plains on the warm side of the front at

1200 UTC, 6May 2000. Arrows show the direction of movement of

MCCs. Enhancement levels are the same as in Figure 2.
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Figure 7 Storm evolution in contrasting environments: thin

circling arrows indicate circulations affiliated with ambient wind

shear and/or amoist-downdraft-generated cold pool. (A) Cold pool

forms in the warm sector. The circulation induced by the cold pool

combines with the circulation associated with the shear to tilt the

system downstream and downshear (northward). (If the shear-

induced circulation is of the opposite sign, the cold-pool circulation

overwhelms the shear and tilts upshear, northward, over the cold

pool.) (B) Low-level jet overruns a frontal zone. Negative buoyancy

of moist downdrafts is insufficient to penetrate to the base of the

synoptic-scale cold air layer, so a surface-based mesoscale cold

pool does not develop. (C) Low-level jet overruns frontal zone with

strong downdraft penetrating to the surface. The letters SW and E

indicate south-westerly and easterly winds, respectively. The edge

of the cloud system is scalloped.
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Tropical squall line development is aided by strong
low-level wind shear. For GATE squall lines, the
critical threshold was 13m s�1 in the 950–650hPA
layer, mostly perpendicular to the leading line. Squall
lines, in turn, transport momentum upgradient, in-
creasing the vertical wind shear.

Tropical Non-Squall clusters

The environment of non-squall clusters is similar to
squall clusters in terms of conditional instability and
formation relative to the easterly wave trough. How-
ever, large, longer-lived non-squall clusters tend to
move at less than the speed of the easterly wave and
dissipate once they fall behind the trough axis. GATE
clusters formed where the mean 950–650 hPA envi-
ronmental shear was about 6m s� 1 and mostly
parallel to the lines. A distinctive feature of non-
squall cluster environments is the absence of
strong shear between 700 and 250 hPA. Winter
monsoon clusters off Borneo were initiated from
offshore breezes.

The composite environments have maximum low-
level convergence during the growing stage of the
system life cycle. The maximum vertical motion is
close to 300 hPA and occurs during the mature phase
in contrast to midlatitude MCCs whose maximum
vertical motion occurs during the mature-to-dissipat-
ing phase.

Basically, environments with weak shear in the
middle levels and deep layer moisture tend to produce
more MCCs and non-squall clusters while strongly
sheared environments with dry air inflow at middle
levels favor more linear MCS development.

Global Distribution

MCCs

MCCs occur frequently (300–400 annually) but in
certain favored locations (Figure 8), specifically:

1. most MCCs occur over land,
2. development occurs in belts of easterlies and

westerlies,
3. in the lee of high terrain (associated with low-level

jets).

It is intriguing to note that MCCs are rare in some
locations where deep moist convection including
squall lines is common, e.g., the Amazon River Basin
or the south-eastern US.

Midlatitude MCC activity is most frequent from
June to August in the Northern Hemisphere and from
November to February in the Southern Hemisphere.
The latitudinal progression of all MCS activity is
related to the seasonal migration of large-scale circu-
lation patterns and the migration varies substantially
from region to region. During summer in northern
continents, where there are pronounced poleward
shifts in the jet stream, MCC activity shifts strongly
poleward. In the ocean-dominated hemisphere, where
jet streams are quasi-stationary, polewardmigration is
not as evident.

Tropical MCS

A tropical MCS climatology was developed using
Special Sensor Microwave Imager (SSM/I) satellite
measurements for 35N–35S in January, April, July,
and October 1993. Systems were classified according
to their 85GHz ice scattering signature to show the
distribution of mesoscale regions of convectively
produced large ice particles aloft (Table 3).

MCSs are most prevalent over tropical South
America, tropical Africa, and the oceanic warm
pool. They are 60% more frequent over continents
at sunset than at sunrise and 35%more frequent over
the oceans at sunrise than at sunset. Except over
subtropical oceans, MCSs are larger at sunrise than at
sunset. The total population forms a continuous,
approximately log normal, distribution with the
frequency inversely proportional to the area and
intensity. No significant relationship was found
between size and intensity. Intense MCSs, which
accounted for only 4% of this database, were mainly

MCC population
Terrain > 1000m 
Terrain > 500m 
Prevailing W'ly
Prevailing E'ly 

EQ

Figure 8 Relationship among MCC locations, elevated terrain,

and prevailing midlevel flow. (Reproduced with permission from

Laing and Fritsch (1997).r the Royal Meteorological Society.)

Table3 Ice scatteringdefinition for (a)MCSand (b) intenseMCS

(Adapted with permission from Mohr and Zipser (1996))

(a) MCS

Minimum area 2000 km2

Contour PCT 250K

Minimum enclosed PCT r 225K

(b) Intense MCS

Minimum area 2000 km2

Contour PCT 200K

Minimum enclosed PCT r 175K
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continental, colder than oceanic systems, and more
occurred in the subtropics than in the tropics. The
largest and coldest of the intense MCSs occurred over
the US Gulf Coast, the South American Plains, and
northern India/Bangladesh, areas favored for MCC
development.

Heating and Moist Convective
Transport

The propensity of convective elements to organize into
mesoscale systems has important implications for the
large-scale circulation and heat budget because con-
vection has a greater impact on the large scale when
organized into mesoscale systems than as individual
thunderstorms.

In examining the transport of heat and moisture, it
helps to consider an ensemble of cumulus clouds
embedded in a large-scale circulation. The heat and
moisture budget can be expressed as

Q1 �QR ¼ Q1c þQ1m

Q2 ¼ Q2c þQ2m

whereQR is the net radiative heating, andQ1 andQ2

are the residuals from the budgets of the ‘resolvable’
motion called the apparent heat source and moisture
sink, respectively. When the budgets are divided into
cumulus (Q1c,Q2c) and mesoscale (Q1m,Q2m) strati-
form components, the stratiform exerts great influence
on the overall heating and vertical motion through
cooling below the melting level and warming above it
(Figure 9A). Midlatitude MCSs generally have a
sharper peak in heating and at a higher level than
tropical MCSs (Figure 9B). Heating characteristics
vary even among tropicalMCSs.Maximumheating in
western Pacific MCSs occurs in the mid–upper levels
during the mature-to-decaying stages while GATE
systems experience maximum heating earlier and in
the lower troposphere.

Dynamical Adjustment

The atmospheric response to latent heat depends on
the horizontal scale of the heating relative to the
Rossby radius of deformation, LR, where

LR ¼ CN

Bþ fð Þ1=2 2VR�1 þ fð Þ1=2

z is the vertical component of relative vorticity, f is the
Coriolis parameter, CN is the phase speed of an
inertial-gravity wave, and V is the tangential compo-
nent of the wind at the radius of curvature, R. If the
horizontal scale of heating is less thanLR, thenmost of
the energy released by heating will propagate away

from the disturbance as gravity waves. If the scale of
the latent heating is close to or exceedsLR, then energy
maintains nearly geostrophically balanced flow. For
midlatitude systems, LR is about 300 km, close to
MCC length scale, explaining their longevity and
ability to influence the large-scale circulation.
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Diabatic heating in MCCs forces upper-level jet
streaks downstream by enhancing ageostrophic flow
in the jet entrance. Dynamical adjustment to the 1993
USMCSs created anupper-levelwindmaximum to the
north-east of the heaviest precipitation, upper-level
divergence over the region of heaviest rainfall, and an
anomalously strong southerly low-level flow into the
upper Midwest. Thus, a continental-scale adjustment
favored more convection and flooding.

Midlevel Mesoscale Vortices

Since the late 1970s, researchers have observed spiral
bands ofmidlevel clouds that remain after the decay of
MCSs, taking on the appearance of a tropical cyclone
on land. The cyclonic circulation is centered on a
warm-core, midlevel convective vortex (MCV) that
sometimes develops in the stratiform region of MCSs
(Figure 10).

The development can be examined in terms of
potential vorticity (PV) theory, which dictates that
mass-integrated PV remains constant between two
isentropic surfaces regardless of changes in mass
transport or diabatic heating. Thereforewhendiabatic
heating occurs in moist convection, evacuation of
mass across isentropes will lead to an increase in PV,
i.e., the spin of the fluid adjusts to changes in the depth
of the rotating column. Heating in the positive PV
anomaly can persist for days, regenerating convection
and amplifying the vortex. Under certain conditions,
series of MCSs form, in roughly the same location
and follow similar tracks, thereby aggravating
their flood potential, e.g., during the 1993USMidwest
floods.

Tropical cyclone effects It has been theorized that
when successive cycles of convection occur over a
warmwater surface, they can play a crucial role in the
transition of a loosely organized cluster of convection
into a tropical depression, provided the large-scale
environment is favorable. Tropical cyclones some-
times form when MCSs move over water, probably
due to midlevel vortices extending downward.

Most tropical cyclone circulations are synoptic scale
but their precipitation structure and inner core
dynamics are predominantly mesoscale. Satellite
microwave measurements indicate that mesoscale
convective bursts can lead to rapid changes in cyclone
intensity and structure through latent heat feedback
mechanisms.

Radiative Balance

One of the most important aspects of deep convection
is its influence on the tropospheric radiation budget.
The radiation balance depends on the distribution and
characteristics of hydrometeors and other cloud par-
ticles. A tropicalMCS can cause net cooling from solar
extinction that outweighs warming inside the cloud.
Differential radiative heating can alter the evolution
and mass circulation of individual MCSs through
feedback among latent heat release, convective up-
drafts, and precipitation.

The time of day that MCSs occur can have varying
radiative effects. Even with constant total cloud
fraction, the sign of the radiation balance is sensitive
to the diurnal distribution of deep convective cloud
systems. Warming due to increased nocturnal deep
convective cloud fraction exceeded short-wave
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cooling over North America (July 1985 and 1986
comparison).

The diurnal radiative cycle modulates tropical
oceanic convection, which attains peak intensity
near sunrise. One hypothesis for the overnight growth
holds that horizontal divergence in the radiation field
near cloud clusters can lead to mass circulation that
enhances cloud development. Another theory suggests
that long-wave cooling at the cloud top and warming
at the cloud base leads to destabilization and increased
convection. The extensive stratiform anvil, cirrus
shield, and nocturnal life cycle of many MCSs affect
the radiation balance significantly and may have
important implications for global warming.

Chemical Transport

Mesoscale convection is important for the transport
and chemical cycling of trace gases. The convective
updraft displaces the tropopause upwards, leading to
strong vertical mixing. In one US MCC an anvil
formed within the stratosphere, resulting in a layer of
tropospheric air B1 km thick lying above an equally
thick layer of stratospheric air. This displacement,
along with a broken tropopause around the edges,
injected ozone-poor tropospheric air into the
stratosphere.

In theAmazon Boundary Layer Experiment, carbon
monoxide concentrations in the mid–upper levels of
squall lines were 3–4 times the background values.
MCCs often occur in series, disturbing atmospheric
thermal and trace gas fields over a large area, making
them likely important local, natural sources of
tropospheric ozone in MCC populated regions.

Atmospheric Electrical Effects

Since the early 1990s interest has grown in the
electrical properties of MCSs, particularly their asso-
ciation with upper atmospheric transient luminous
events known as sprites, blue jets, and elves. These
features are observed above the stratiform precipita-
tion region of large MCSs that favor horizontally
extensive and layered regions of positive charge
generation. Over the US Great Plains, a necessary
but not sufficient condition for sprites is anMCS with
a stratiform precipitation area of over 20 000 km2.
Sprites are observed in other MCS-favored zones but
indications are that sprites are less frequent on a per
storm basis in tropical systems.

These recent discoveries provide additional incen-
tive for improving our understanding of the initiation
and organization of MCSs. These ubiquitous meso-
scale weather systems have so many fascinating

aspects that it will be some time before we gain a full
understanding of their impact onweather and climate.

Appendix. MCC populations included
in the global data set

Region/period
of study

Geographic
domain

Average
number
per season
(high–low
annual range)

South, Central America,
May 1981–Apr 1983

40S–30N,
120–28W

96 (47)

Western Pacific Region,
1983, 1985

50S–50N,
90E–170W

82 (14)

United States, 1986–87 25–50N,
130–70W

51 (14)

Africa, 1986–87 40S–35N,
45W–45E

97 (7)

Indian Subcontinent,
Apr–Dec 1988

0–50N,
45–110E

49

Europe, 1986–87 35–55N,
20W–45E

6 (1)

Total 381 (83)

Glossary of Thermodynamic
Parameters

CAPE (JKg� 1) CAPE is the vertically integrated
positive buoyancy of an adiabatically rising parcel,
an excellent measure of latent instability. Increasing
values of CAPE generally lead to progressively,
more vigorous convection. CAPE depends on the
parcel chosen for lifting and on whether the initial
lift is mechanically forced or from surface heating.
CAPE is represented on a thermodynamic diagram
(Skew-T) as the positive area between the moist
adiabatic curve and the sounding temperature
curve, from the level of free convection (LFC) to
the equilibrium level (EL).

CAPE ¼ g

Z zEL

zLFC

Tp � Te

Te

� �
dz

K-Index (KI, 1C) The K-Index has been shown to be
particularly useful for identifying convective and
heavy rain-producing environments because it ac-
counts for the differences in moisture not simply
temperature. Thunderstorm probability range from
near zero when Ko20 to widespread activity when
K > 35.
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KI ¼ ðT850 � T500Þ þ Td850 � Tdd700, where Td5
dewpoint temperature and Tdd5 dewpoint
depression.

See also

Mesoscale Meteorology: Cloud and Precipitation
Bands; Models; Overview. Weather Prediction: Severe
Weather Forecasting.
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Atmospheric mesoscale systems are identified as those
in which the instantaneous pressure field can be
determined accurately by the temperature field, but
the winds, even in the absence of surface frictional
effects, are out of balance with the horizontal pressure
gradient force. The pressure field, under this situation,
is said to be ‘hydrostatic’. Larger-scale atmospheric
features, in contrast, have a wind field that is close to a
balance with the horizontal pressure gradient force.
These large-scale winds are said to be near ‘gradient
wind balance’. Atmospheric features that are smaller
than the mesoscale have pressure fields in which wind
acceleration is a significant component (which is
referred to as the dynamic wind). The pressure
gradient that causes this dynamic wind is called the
‘nonhydrostatic pressure’.

Atmospheric mesoscale models are based on a set of
conservation equations for velocity, heat, density,

water and other trace atmospheric gases, and aerosols.
The equation of state used in these equations is the
ideal gas law. The conservation of velocity equation is
derived from Newton’s second law of motion as
applied to the rotating Earth. The conservation of heat
equation is derived from the first law of thermo-
dynamics. The remaining conservation equations are
written as a change in an atmospheric variable (e.g.,
water) in a Lagrangian framework where sources and
sinks are identified

Each of these conservation equations can bewritten
to represent the changes following a parcel of velocity,
potential temperature (entropy), water in its three
phases, other atmospheric gases and aerosols, and
mass, including source/sink terms. However, models
seldom express the conservation relations in a
Lagrangian framework. The chain rule of calculus is
used to convert to an Eulerian framework.

Several assumptions are typically made in the
conservation equations. These include the neglect of
small-scale fluctuations of density except when mul-
tiplied by gravity (this is called the Boussinesq
approximation); the neglect of vertical acceleration
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relative to the differences between the vertical pressure
gradient force and gravity (referred to as the hydro-
static assumption); and the neglect of all molecular
transfers.

The first two assumptions have not been made in
models in recent years, however, since the numerical
equations are actually easier to solve without these
assumptions. None the less, the spatial and temporal
scales of mesoscale systems result in the two assump-
tions being excellent approximations with respect to
mesoscale-sized systems. The third assumption is
justified because advection is much more significant
at transfers than molecular motion on the mesoscale.

These conservation relations, which are written as a
set of simultaneous nonlinear differential equations,
unfortunately cannot be used without integrating
them over defined volumes of the atmosphere. These
volumes are referred to as the model ‘grid volume’.
The region of the atmosphere for which these grid
volumes are defined is called the ‘model domain’. The
integration of the conservation relations produces
‘grid-volume averages’, with point specific values of
the variables called ‘subgrid-scale values’. The ‘reso-
lution’ of data is limited to two grid intervals in each
spatial direction.

The result of the grid-volume averaging produces
equations for the local time derivative of the grid-
volume resolved variable, which include ‘subgrid-
scale fluxes’. An assumption that is routinely made in
all mesoscale models (usually without additional
comment) is that the grid-volume average of subgrid-
scale fluctuations is zero. This assumption, often
referred to as ‘Reynolds averaging’, is actually only
accurate when there is a clear spatial-scale separation
between subgrid scale and grid-volume resolved
quantities.

Mesoscale model equations have been solved in a
Cartesian coordinate framework. Each coordinate in
this system is perpendicular to the other two coordi-
nates at every location. Most mesoscale models,
however, transform to a generalized vertical coordi-
nate. The most common coordinates involve some
form of terrain-following transformation, where the
bottom coordinate surface is terrain height or terrain
surface pressure. The result of these transformations is
that the new coordinate system is not orthogonal, in
general. Unless this nonorthogonality is small, the
correct treatment of nonhydrostatic pressure effects in
mesoscale models requires the use of tensor transfor-
mation techniques, as opposed to the separate use of
the chain rule on each component of velocity. The use
of generalized coordinate systems introduces addi-
tional sources for errors in the models, since the
interpolation of variables to grid levels becomes more
complicated.

The model variables also need to be defined on a
specified grid mesh. When all dependent variables are
defined at the same grid points, the grid is said to be
‘nonstaggered’.When dependent variables are defined
at different grid points, the grid is called a ‘staggered
grid’. The gridmeshes can also be definedwith smaller
grid increments in one region surrounded by
coarser grid increments. Such a grid is referred to as a
‘nested grid’. If the grid increments vary at all
locations, with the finest grid in a specified volume,
the grid is called a ‘stretched grid’.

The subgrid-scale fluxes in mesoscale models are
parameterized in terms of resolvable variables. Tur-
bulence theory, as observed from atmospheric field
campaigns over horizontally-homogeneous land-
scapes, and for undisturbed atmospheric conditions,
is the basis for all mesoscale model representations of
the vertical subgrid-scale flux terms. The vertical
fluxes are parameterized differently when the lowest
50m or so of the atmosphere are unstably stratified
and when it is stably stratified. The planetary bound-
ary is typically represented by three layers: a thin layer
of a few centimeters near the surface where laminar
fluxes are important (called the ‘laminar layer’); a
layer above this that extends upward tens of meters
wherewind directionwith altitude is ignored (referred
to as the ‘surface layer’); and the remainder of the
boundary layer where the winds approach the free
atmospheric value (referred to as the ‘transition
layer’). However, disturbed (unsteady) boundary lay-
ers are not parameterized accurately by existing
parameterizations. The effect of land surface hetero-
geneity has been included on the subgrid-scale only as
aweighting of the surface layer fluxes by the fractional
coverage of each land surface type. This technique is
called the ‘mosaic’ or ‘tile’ subgrid-scale surface flux
parameterization. In contrast to the vertical fluxes,
horizontal subgrid-scale fluxes in mesoscale models
have no physical basis. They are included only to
horizontally smooth the model calculations.

The representation of the source/sink terms in the
conservation equations can be separated into two
basic types: those that are derived from basic concepts
and those that are parameterized. The only basic
source/sink terms inmesoscalemodels that are derived
from fundamental physical concepts are the pressure
gradient force and gravity. Neither of these two forces
involve adjustable coefficients, which is onemethod to
separate fundamental terms in the conservation equa-
tion from a parameterization. The remainder of the
source/sink terms need to be parameterized.

The radiative flux terms are typically separated into
short-wave and long-wave fluxes. The short-wave
fluxes, also called ‘solar fluxes’, are separated into
direct and diffuse irradiance. The direct irradiance is
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the nonscattered flux, while the diffuse irradiance is
the scattered radiative flux from the Sun. The direct
irradiance is sometimes further separated into visible
and near-infrared components. In cloudy model
atmospheres, parameterizations based on cloud liquid
water content, or more crudely on arbitrary attenua-
tion based on relative humidity in the model, are used.
Typically only diffuse irradiance is permitted for
overcast model conditions. Some models weight
the fluxes for partly cloudy skies, using weighted
parameterizations for both clear and overcast sky
conditions. Polluted atmospheres also require param-
eterization of their effect on solar irradiance, although
only a few mesoscale models have explored this issue.

Long-wave irradiance is from the Earth’s surface
and from within the atmosphere. Scattering of long-
wave radiative fluxes is typically ignored, such that
only upwelling and downwelling irradiances are
parameterized. This type of parameterization is called
a ‘two-stream approximation’. The major absorbers
and emitters represented in mesoscale model param-
eterizations are liquid and ice clouds, water vapor, and
carbon dioxide. Clouds are usually parameterized as
black bodies to long-wave irradiance. Thewave vapor
and carbon dioxide are represented by the path length
through the atmosphere, and their concentrations
along their path. As with solar radiative fluxes,
mesoscale models seldom include parameterizations
of long-wave irradiance associated with pollution.
This neglect is partially a result of the dependency of
the absorption, transmissivity, and scattering of both
solar and long-wave irradiance on the specific chem-
ical composition and size spectra of the pollution.

The phase changes of water and this effect on the
conservation of heat source/sink terms are separated
into stable cloud and cumulus convective cloud and
precipitation parameterizations. Stratiform cloud pa-
rameterizations range in complexity from algorithms
that instantaneously precipitate rain (or snow) when
the model relative humidity exceeds a user-specified
relative humidity (referred to as a ‘dump bucket’
scheme), to individual conservation equations for
several categories of hydrometeors (e.g., cloud water,
rain water, ice crystals, snow, graupel, hail). For the
larger hydrometers, a nonzero, finite terminal fall
velocity is usually specified.More detailed microphys-
ical representations,where cloud hydrometeor spectra
are classified into more size class intervals (called
‘microphysical bin parameterizations’) are also used.

The parameterization of cumulus cloud rainfall
utilizes some form of one-dimensional cloud model;
these are called ‘cumulus cloud parameterization
schemes’. Their complexity ranges from instantaneous
readjustments of the temperature andmoisture profile
to the moist adiabatic lapse rates when the relative

humidity exceeds saturation, to representations of a
set of one-dimensional cumulus clouds with a spec-
trum of radii. These parameterizations typically focus
on deep cumulus clouds, which produce the majority
of rainfall and diabatic heating associated with the
phase changes of water. Cumulus cloud parameteriza-
tions remain one of the major uncertainties in meso-
scale models, since they usually have a number of
tunable coefficients, which are used to obtain the best
agreement with observations. Also, since mesoscale
model resolution is close to the scale of thunderstorms,
care must be taken that the cumulus parameterization
and the resolved moist thermodynamics in the model
do not ‘double count’ this component of the source/
sink terms.

The grid-volume averaged conversation equations
are nonlinear, and, therefore, must be solved using
numerical approximation schemes. The solution tech-
niques include finite difference, finite element, inter-
polation (also called semi-Lagrangian), and spectral
methods. Both temporal and spatial terms, and the
source/sink terms must be represented by these
approximation schemes. An important aspect of
mesoscale models is that only advection and the
pressure gradient force involve horizontal gradients
explicitly. All other model terms, including each of the
source/sink terms, are one-dimensional column mod-
els or point values.

Finite difference schemes involve some form of
truncated Taylor series expansion. The finite element
technique uses a local basis function to minimize
numerical error, while the spectral method utilizes
global basis functions. A spectral method has the
advantage that differential relations are converted to
algebraic expressions. The semi-Lagrangian scheme is
based on fitting interpolation equations to data at a
specific time, and advecting the data with model
winds.

Mesoscale models have predominately utilized
the finite difference and (for advection) the semi-
Lagrangian approaches. A few groups have applied
the finite element method, but its additional compu-
tational cost has limited its use. The spectral method,
which is most valuable for models without lateral
boundaries, has not generally been used since meso-
scale models have lateral boundaries.

The use of numerical approximations introduce
errors. Linear stability analyses show that it is impos-
sible to create a numerical solution scheme that
accurately represents both amplitude change over
time and speed of motion (advection; gravity wave
propagation) for features that are shorter than about
four grid increments in each spatial direction. In
addition, products of the variables (which are nonli-
near terms) produce transfers of spatial scales to larger
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and smaller scales. The inability of the numerical
model to sample the smallest scales (less than two grid
intervals) results in the spatial scale appearing at a
large scale. This error is called ‘aliasing’ and unless
corrected can result in an erroneous accumulation of
atmospheric structure at the wrong spatial scale. For
these reasons the term ‘model resolution’ should be
reserved for features that are at least four grid intervals
in each direction.

To integrate the models forward in time, the
variables must be initialized; these values are called
‘initial conditions’. Observed data, or a combination
of observed data and previous model calculations, are
typically used to initialize mesoscale models. The
insertion of data during a model calculation is called
‘four-dimensional data assimilation’ (4DDA). Lateral,
top, and bottom boundary conditions are also needed
for the duration of the model calculations. Lateral
boundary conditions in mesoscale models can be
idealized for theoretical studies (e.g., cyclic boundary
conditions) or derived from large-scale observations,
such as the NCEP Reanalysis, or from larger-scale
model simulations. Mesoscale models are often
strongly influenced by the lateral boundary condi-
tions, such that their accurate representation is a
necessary condition for an accurate mesoscale simu-
lation.

The top boundary conditions are similar to the
lateral boundary conditions, and must be accurately
represented. Most mesoscale models extend into the
stratosphere, in order to minimize the effect of the
model top on the mesoscale simulation. Damping
zones at the model top (referred to as an ‘absorbing
layer’) are usually inserted so that upward-propaga-
tingmodel simulated gravitywaves donot erroneously
reflect from the artificial model top.

The surface boundary is the only surface of a
mesoscale model that is physically based. This surface
is typically separated into ocean (and freshwater lakes)
and land surfaces. Ocean and lake surfaces can be
represented simply as prescribed sea surface temper-
atures, or using mesoscale atmospheric models cou-
pled to mesoscale ocean, lake, and/or sea ice models.
Over land, the ground is separated into bare soil and
vegetated land. Soil–vegetation–atmosphere transfer
schemes (SVATS) have been introduced to represent
the fluxes of velocity, heat, moisture, and other trace
gases between the atmospheres and the surface. Most
SVATS include the effect of transpiration on water
flux.Recently, vegetationdynamical processes, such as
plant growth, have been included in longer-term
(months to seasons) mesoscale model calculations.

Model performance is assessed in several ways. The
comparison of observations with model results using
statistical skill tests is a major assessment tool.

A complication of these evaluations is that observa-
tions have a different sampling volume (e.g., a point)
from the model grid volume. Comparisons of simpli-
fied (usually linearized) versions of numerical models
with analytic theory have been completed to test the
accuracy of linear components of the model. Several
models can be intercompared to assess which features
they have in common, and which they do not. The
mass and energy budgets of the mesoscale models, if
they are each calculated in two separate manners,
provide an opportunity to check the internal consist-
ency of the model. Peer-reviewed scientific publica-
tions and the availability for scrutiny of the model
source code provide two additional valuable proce-
dures for assessing the value of the mesoscale model,
and the degree to which the programmed model logic
agrees with the mathematical formulations presented
in the literature. Proposals have been made to stand-
ardizemodel computer codes, in order to assist in their
more general use.

Mesoscale models around the world, with indica-
tion of several recent papers in which details of the
models can be found include the following:

RAMS (Pielke et al., 1992)
BLFMESO (Daggupaty et al., 1994)
AARPS (Park and Droegemeier, 2000)
MM5 (Dudhia, 1993)
TVM/URBMET (Thunis and Clappier, 2000)
Hot Mac (Yamada, 2000)
FITNAH (Gross, 1992)
MRI (Saito, 1997)
Eta (Mesinger et al., 1988; Mesinger, 1998; Black,
1994)
COAMPS (Hodur, 1997)
MC2 (Benoit, 1997; Laprise et al., 1997)

These models have been applied to two basic types of
mesoscale systems: those forced primarily by initial
and lateral boundary conditions (referred to as
synoptically-forcedmesoscale systems) and by surface
boundary conditions (referred to as surface-forced
mesoscale systems). Of the latter type, there are
mesoscale systems that are caused when terrain is an
obstacle to the flow (referred to as ‘terrain-forced’ or
orographicmesoscale systems) and those generated by
horizontal gradients in sensible heating of the surface
(called ‘thermally-forced’ mesoscale systems).

See also

Mesoscale Meteorology: Cloud and Precipitation
Bands;MesoscaleConvectiveSystems.NumericalMod-
els: Methods. Weather Prediction: Regional Prediction
Models.
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Introduction

The ablation of interplanetary dust particles generates
a daily input of about 100 tonnes of a variety ofmetals
into the Earth’s upper atmosphere. This gives rise to
the thin layers of neutral metal atoms that occur
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understood gravity waves and tides. These properties
are reason enough for scientific interest in the polar
mesosphere, but there are important global change
aspects as well.

Noctilucent Clouds (NLC) and the
temperature anomaly

The interest in the polar summer mesosphere started
on 18 June 1885, two years after Krakatoa’s eruption
in 1883. Silvery-blue clouds were observed from the
ground under twilight conditions when the Sun was
below the horizon but was still illuminating the
mesosphere (i.e., just before dawn or just after sunset).
Using photographic triangulation, it was found that
the height of these cloudswas about 82 km, the highest
clouds ever seen on Earth. Owing to their unusual
nighttime brightness, they were named noctilucent
clouds, or NLC. It is believed that the major volcanic
eruption introduced a considerable amount of water
vapor into the stratosphere that took 2 years to be
transported to the mesosphere, eventually contribut-
ing to the ice particles that formed these clouds. The ice
particles were large enough to scatter sunlight and be
seen by the naked eye.

These clouds are only observed during the summer
months, usually presenting a wavy pattern, an effect
that is attributed to their interaction with passing
gravity waves. The ideal zone of viewing is between
531 and 571 latitude because of the long twilight and
the polar location of the clouds themselves. The
example presented in Figure 1 displays some of the
characteristics of noctilucent clouds.

An important discovery was made during the
International Geophysical Year (IGY) of 1957–1958.
Rocket grenades launched from many locations re-
vealed that, against all expectations, the temperature
in the polar summer mesosphere is colder than in the
winter polar zone. In fact, a temperature difference of
about 100K is found between summer and winter.
More recent data are presented in Figure 2 and reveal
these hemispheric temperature differences quite well,
along with the level of temperature fluctuation in the
region, which is quite high in the winter hemisphere.
This result supports speculations that the NLC were
composed by ice that forms at extremely low temper-
atures even at the low water vapor pressure of the
mesopause zone (1–2 parts per million).

The gravity or buoyancy waves that create the
interesting structure in Figure 1 are of more than pass-
ing importance to understanding the low temperature
of the polar summer mesosphere. Such waves are also
called internal waves since they can propagate easily
throughtheatmosphere fromoneheight range toanother.

Typical sources include surface wind flow over
orographic features, frontal systems, and severe
storms; even earthquakes and nuclear explosions
have created substantial waves in the atmosphere.
What makes these waves unique and important to the
upper atmosphere is that they increase in amplitude as
they propagate upward. This seems counterintuitive
but is actually firmly rooted in the principle of
conservation of energy. The kinetic energy per unit
volume in a wave packet is given by eqn [1].

WKE ¼ 1
2r0ðduÞ2 Jm�3 ½1�

Figure 1 Noctilucent clouds as observed at 2255 UTC on 19 July 1997 from Glengarnork, Ayshire, Scotland. (Figure courtesy of Tom

McEwan.)
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In eqn [1], du is the perturbation wind velocity in the
wave (m s�1) and r0 is the background atmospheric
mass density (kgm� 3). (Since the kinetic energy of a
simple molecule of mass M is 1

2Mv2, measured in
joules, exchanging r0 for M yields the kinetic energy
density in Jm� 3.) Similar expressions hold for other
forms of energy such as heat and potential energy in a
wave packet. The important thing is that as the wave
propagates upward, r0 decreases drastically, expo-
nentially in fact, with the form for a uniform atmos-
pheric temperature being r0ðzÞ ¼ r0ð0Þe�z=H, where
H ¼ kT=Mg is the atmospheric scale height (E7 kmat
surface temperatures) and k is Boltzmann’s constant.
So if energy is to be conserved as a wave propagates
upward, each time the density r0 decreases by a factor
of 2 the wave velocity must increase by a factor of

ffiffiffi
2

p
,

or by about 40%. Eventually, any given wave will
reach a height where the amplitude is so great that it
breaks. A good rule of thumb is that a wave will break
when its internal wave perturbation velocity exceeds
its propagation speed – it catches up with itself,
steepens, and breaks. Figure 3 shows an analogous
situation forwaterwaves. Thewave speed slows as the
water becomes shallow and when the internal pertur-

bation velocity exceeds the wave velocity, the wave
breaks.

What does this have to do with the cold summer
mesopause? When waves break on a beach or in the
clear air, they deposit their energy and momentum
back into the local medium (swimmers on the surface
know this very well). The mesosphere is so tenuous
that the input of momentum from waves generated in
the dense lower atmosphere is very significant. Cur-
rent theories of the mesosphere argue that the waves
that reach these heights come from preferred direc-
tions that are different in the two hemispheres. In the
summer hemisphere the waves preferentially come
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Figure 3 Analogy for gravity wave breaking similar to that of

water waves on a beach.
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from the west, depositing a net eastward momentum
into the medium. This spins up the atmosphere
somewhat and it moves away from the pole. To
conserve mass, there is a net upflow at high latitudes,
resulting in adiabatic cooling. The opposite effect
occurs at the winter pole and the temperature rises.

The preferential direction could arise in a variety of
ways and we discuss only one here, the so-called
critical layer effect. Gravity or buoyancy wave velo-
cities are small enough that jet stream winds can be
larger than the wave propagation speed. Suppose a
wave propagates upward to a height where its hori-
zontal phase speed equals that of the background
wind, height h0 in Figure 4. At this height the wave is
not a wave at all, just some eddies in the flow, and it
ceases to exist. In fact, only waves with horizontal
velocities greater than umax get through the jet stream
at all. But waves propagating in the other direction,
against the flow, are never subject to this effect and
pass through easily. Since the jet stream is to thewest in
the summer and to the east in the winter, gravity wave
filteringmight explain themechanismdescribed above
and the observed temperature asymmetry.

Modern global circulation models can include such
effects by parameterizingmomentumfluxes.One such

model is the TIME-GCM(Thermosphere-Ionosphere-
Mesosphere-Electrodynamics General Circulation
Model). The calculated yearly variation of tempera-
ture at 85 km is shown in Figure 5. We can observe an
asymmetry between hemispheres for solstice condi-
tions at high latitudes. The southern polar summer
hemisphere seems to be warmer than the northern
polar summer hemisphere by 100K.

New ways to study NLC have been developed that
should improve our understanding experimentally.
For instance, in the early 1980s satellitemeasurements
detected NLC, though, owing to the different method
of detection, they were called polar mesospheric
clouds or PMC. They are believed to be the same as
NLC, with the only difference being that, from orbit,
they could be observed 24 hours a day. Another
observation method that is not hampered by lighting
conditions takes advantage of the unexpectedly high
radar cross-section in the polar summer mesosphere.
This scattering process is of considerable interest in its
own right and is discussed at length in the next section.
The latest way to monitor NLC involves lidar, a
method analogous to radar but using light waves
instead of radio waves.

NLC are usually observed only at high latitudes
between 501 and 601, but on 22 June 1999 they were
observed in Boulder, Colorado (401N), an indication
that NLC are moving south. This could be due to

h0

h

umax
Wind speed

Wave velocity

Figure 4 Internal gravity waves have phase velocities of the

same order as wind speeds in the jet stream. Here we illustrate a

wind profile whose peak value exceeds the phase velocity of a

particular wave. In this case an upward-propagating wave will

reach the critical layer, where it is absorbed by the fluid.
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cooling and/or increased water vapor caused by rising
levels of methane and carbon dioxide due to human
activity, a topic we take up later.

Polar Mesosphere Summer Echoes
(PMSE)

As noted above, an intriguing feature of the polar
summer mesosphere is the ability of the region to
strongly scatter radio waves. Early studies of VHF
radar echoes from the high-latitude summer meso-
sphere and lower thermosphere using the Poker Flat
MST radar in Alaska (651N) showed a relatively
narrow and surprisingly intense echoing layer cen-
tered at about 86 km. The echoes were characterized
by their strong VHF (50MHz) radar backscattering
cross-section, with backscattered powers 2–3 orders
of magnitude greater than typical values observed at
low or middle latitudes (in any season) or at high
latitudes (in nonsummer periods). The echoes are now
referred to as Polar Mesosphere Summer Echoes, or
PMSE. PMSE are both intriguing and surprising
because the 3m irregularities responsible for Bragg
backscatter at 6m radar wavelengths (i.e., the irreg-
ularities responsible for VHF backscattering) should
lie within the viscous subrange of turbulence at 86 km
and, as a consequence, should be strongly damped.

As observed at VHF (B50MHz), northern-hemi-
spheric PMSE exhibit the following characteristics:

� They display a thin but intense echoing region near
the summer mesopause (B85 km) with a margin of
73km.

� While some relatively strong, albeit sporadic,
echoes have been reported at latitudes as low as
521, the strongest, most continuous echoes are
observed at latitudes poleward of about 651.

� The echoes appear around mid-May, last until mid-
August, and are relatively continuous.

� Both the height range and seasonal variations of
PMSE correlate reasonably well with those of the
cold temperature mesopause (i.e., the coldest
known atmospheric region).

� Joint observations using VHF radar and sounding
rockets show that intense PMSE can be often
associated with sharp ‘biteouts’ in the ambient
electron density.

Subsequent to their discovery in 1981, many observa-
tions related to PMSE have been made using radar,
lidar, and rockets. These observations have helped
formulate a number of theories proposed to explain
the generation of the intense radar echoes and the
remarkable physical conditions associated with them.
Subfields in research as disparate as dusty (icy) plasma

physics, interplanetary dust cloud studies, meteor
ablation, and recoagulation science all have something
in common with the polar summer mesopause region.

Proposed Mechanisms of PMSE
Generation

Many mechanisms have been proposed as being
responsible for, or at least partly responsible for,
PMSE generation. An example showing six hours
of radar echo data from this region is presented in
Figure 6. This can be viewed much like a Doppler
weather radar plot except that the beam is fixed in the
vertical direction. The time evolution is similar to
that provided by a slit camera focused on a spot at
80–90 km altitude. The radar frequency is 51.5MHz,
corresponding to backscatter from structures of
5.83m wavelength. Radio waves scatter most easily
from electrons and, when these are present, usually
dominate the physics. Indeed, since the summer polar
zone is in full sunlight, the ionosphere actually extends
downward to the altitudes of these echoes. But this is
true at other latitudes in daytime, so simply having
electrons is not the answer. Another possible answer
lies in the ice particles themselves: could they scatter
thewaves just as rain and snow enhanceweather radar
signals? Again the answer is no. Such particles are too
few and too small to create a huge signal. But, as we
shall see, collocation of the electron gas and the finite-
sized (nonmolecular) particles seems to hold clues to
the phenomena.

Rocket data of measurements of the electron struc-
ture in the medium provided the first clear indication
that the echoes were related to the coupling of
electrons and small particles. Figure 7 shows simulta-
neous VHF scatter echo profile and the electron
density during a strong event. A severe, sharp biteout
in the latter is coincident with the echoing region. It
seems curious that removing electrons can increase the
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signal, but if the resulting coupled electron–ice gas has
very sharp edges or small eddies, the crucial require-
ment that there be structure at half the radar wave-
length may be accomplished. Spectral analysis of the
rocket data indeed shows that for this VHF
(53.5MHz) study the electron gas was structured at
this small scale.

Unfortunately, there is not yet an established theory
that adequately explains the entirety of this phenom-
enon. In the beginning, many of these studies were
based on observations at 50MHz. When later studies
showed that PMSE were observed at higher frequen-
cies (UHF), newer processes were proposed. Now that
echoes have also been observed using radars at
lower frequencies (HF), this phenomenon becomes
even more intriguing and open to new theoretical
interpretations.

One of the earliest studies suggested that PMSE
could be explained by enhanced turbulence arising
from the breakdown of tides and low-frequency
gravity waves. However, the lack of evidence for
turbulent broadening of the reflected signal in pro-
portion to the scattered power in the radar return

spectrum implied that this explanation could not stand
alone. Furthermore, it is difficult to explain the PMSE
by traditional theories of backscatter from turbulent
structures in ionized gases. This is because the spatial
extent of the density inhomogeneity ‘seen’ by a radar
must be on the order of the radar half-wavelength
(3m, 0.67m, and 0.12m for 50MHz, 224MHz, and
1.29GHz, respectively). Such short scales are much
smaller than the viscous cutoff scale and should not
exist in the neutral gas, which supports the turbulence.
Traditional theories therefore suggest that, based on
turbulence arguments alone, PMSE cannot exist. The
fact that the PMSE are detected at meter wavelengths,
however, is consistentwith amore complex turbulence
theory that the allowed scales for the passive scalar
electron gas can be much smaller than those for the
neutral gas. This idea invokes the possibility that
PMSE are caused by fluctuations in the electron gas,
which, in the presence of a mixture of charged heavy
ice particles, can be characterized by an inner scale
smaller than the Kolmogorov inner scale of neutral
turbulence.

The occurrence of PMSE in the summer polar
mesosphere is undoubtedly linked to very cold tem-
peratures. Simultaneous measurements of PMSE with
radar and of temperature with rockets have shown
that a sufficiently cold mesopause temperature is a
necessary but not a sufficient condition for the
existence of PMSE. A study of PMSE occurrence and
low seasonal mesopause temperatures, whose results
are presented in Figure 8, has shown that the proba-
bility curve of seasonal occurrence of PMSE in the
Northern Hemisphere was similar to, but delayed by
about 10 days from, a mean seasonal curve of low
mesopause temperatures deduced from a number of
measurements.

The cold mesopause/PMSE occurrence is further
supported by recent measurements of PMSE in the
Southern Hemisphere at Machu Picchu Station
(621 S), which showed that PMSE are much weaker
and more sporadic in the Southern Hemisphere. One
reasonable inference emerging from this observation is
that the mean mesopause temperature at southern
high latitudes iswarmer than its northern counterpart.
Indeed, preliminary examination of daily-averaged
summertime temperature using satellite data (HRDI,
High Resolution Doppler Imager) at 8471.5 km
suggests a few degrees of temperature difference
between comparable summertime months found at
651 latitude, with the Southern Hemispheric temper-
atures being warmer. These results support previous
indications of a warmer Southern Hemisphere from
other satellite observations (SME, Solar Mesosphere
Explorer) when the temperatures were warmer in the
Southern Hemisphere by about 4K.
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Another study supporting north–south asymmetries
suggests that PMSE can be detected at lower latitudes
in the Northern Hemisphere than in the Southern
Hemisphere, and it seems that PMSE start occurring in
an earlier stage in the south than in the north with
respect to the solstice. These results could help in
understandingwhy PMSEwere not detected late in the
season at Machu Picchu Station. Collection of data at
Machu Picchu Station has not been possible earlier
than late December for logistic reasons, thereby
missing late November and early December observa-
tions when the occurrence of PMSE is supposed to
start.

Additional support for a causal temperature mech-
anism is that it has been shown that a significant
reduction in plasma diffusivity would occur in the

presence of a large number of charged ice particles or
very large water-cluster ions, making a favorable
environment for the occurrence of PMSE. These ice
particles, on occasion, are large enough thatwe can see
them from the ground as clouds (NLC) or detect them
by lidar scatter. Figure 9 is a simultaneous measure-
ment of lidar and radar backscatter from the polar
summer mesosphere. Notice that the lidar signal
(which detects the largest ice particles) is at the lower
edge of the radar signal. This seems a clear indication
that the radar detects small particles as they fall and
grow larger to be detected by the lidar just before they
begin to sublimate as the temperature rises.

All this discussion requires that PMSE generation is
somehow associated with charged aerosols and, pri-
marily, ice particles. This suggests again that, in
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addition to cold temperatures, water vapor is also a
necessary ingredient in the equation for PMSE gener-
ation. The differences between the seasonal variation
of PMSE and temperature were speculated to be
caused by water vapor.

Deep electron density biteouts have been observed
with rockets and have also been seen in electron
density profiles obtained using incoherent-scatter
radar techniques. How does this scavenging of elec-
trons occur and how can the edges be so steep? We do
not know yet, but anomalously low diffusivity in the
presence of charged ice particles has been proposed.
The coupling of these particles with ambient D-region
electrons allows electron density fluctuations of much
smaller spatial scales than expected from viscosity
arguments. The fact that PMSE could be detected by
higher-frequency radars was confirmed by a 224MHz
radar and at still higher-frequencies (933MHz,
1.29GHz). The low diffusivity ideas might well
explain echoes at 224MHz, but echoes near or above
1GHz are truly remarkable and may require a whole
new theory.

On the Possible Relationship between
PMSE, NLC, and Global Change

As time has passed, more observations of NLC have
been reported and an increasing trend has been
detected. This increment in NLC is explained by the
observed increment in atmospheric methane (CH4)
and carbon dioxide (CO2) due to human activity. A
doubling increment in either of these components will
produce a cooling of the thermosphere and meso-
sphere by about 50K and 10K, respectively. Remem-
ber that cold temperatures are a necessary condition

forNLC generation, although not the only one. About
half of the mesospheric water vapor is believed to
come from the photodissociation and oxidation of
upwardly transported CH4 with the chemically active
radical (OH). Colder temperatures and more water
vapor can produce more NLC events, so they can be
used as indicators of global change.

The necessary conditions for the occurrence of
PMSE and NLC or PMC appear to be similar: they
require low temperatures and are apparently related to
water vapor. The seasonal PMSE occurrence corre-
spondswellwith the high-latitude seasonal occurrence
of NLC. Recent studies have shown a correlation of
PMC with PMSE in the Northern Hemisphere where
the mean long-term PMC occurrence ratio curve fits
symmetrically inside the PMSE occurrence ratio
(Figure 8). A close correlation between NLC and
PMSE has also been observed using lidar and radar
data, respectively. These studies were made using a
commonvolume and they agreemost of the time. Thus
PMSE are of particular interest in view of their
frequent coincident occurrence with NLC and the
possible association of recent increased detection of
NLCwith global warming trends. If we couldmonitor
PMSE for long periods and observe increases/decreas-
es in these events (and their relative strength) over
time, we could use such information as a possible
indicator of global change.

See also

Carbon Dioxide. Global Change: Upper Atmospheric
Change. Middle Atmosphere: Gravity Waves. Noctilu-
cent Clouds. Parameterization of Physical Process-
es:GravityWave Fluxes.Radar:MST and STRadars and
Wind Profilers.
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Nomenclature of Sources and Sinks

The Earth’s upper atmosphere is continuously being
bombardedby solid objects from interplanetary space.
Their constituents may have provided prebiotic or-
ganic molecules for the origin of life, and even today
this influx of solid particles is responsible for the
continuous replenishment of a layer of metal atoms at
an altitude of between 80 and 110 km. Even the
smallest grains are precious momenta of the origin of
the solar system and trace the dynamical processes of
formation and disintegration of the first kilometer-
sized planetesimals called comets and asteroids, from
which they originate. The daily influx of meteoroids is
the more relevant for most studies of atmospheric
chemistry and physics. The much more dramatic, but
rare, impacts of comets and asteroids will not be
discussed here.

Meteoroids, also called interplanetary dust parti-
cles, carry much kinetic energy, about 1% of which
is converted to visible light in collisions with air
molecules, creating the transient phenomenon called a
meteor. This energy andmomentum transfer results in
atmospheric chemistry and meteoroid ablation, and
leaves behind a range of atomic, molecular, and solid
particle products.

The following products have been identified in
Earth’s atmosphere. Meteor trains of enhanced den-
sities of electrons, oxygen atoms, and meteoric metal
atoms are routinely observed by radar, lidar, and other
remote sensing techniques. Meteoric neutral metal
atoms are the source of the sodium airglow emission
and form a layer between about 80 and 110 km, called
the neutral atom debris layer. These metal atoms can
chemically react and condense into nanometer-sized
solid particles called recondensed meteoric vapor.
There is indirect evidence that nanometer-sized solid
particles reside at altitudes of 70–85 km, where they
act as nucleation sites for water vapor to form
noctilucent clouds and are a source of weakly bound
electrons. Larger solid particles, of size 10–100 mm,
that survive the ablation process are called meteoric
debris and have been collected in the stratosphere and
at Earth’s surface. Small, nanometer-sized meteoric
matter with chondritic abundances has been detected
as a contaminant in (or nucleation site of) larger
sulfuric aerosols in the stratosphere.

If the meteoroids are sufficiently small (o50 mm)
and come in slow enough (o20 km s�1), and if they
are large enough to effectively radiate the heat
(410 mm), then they may survive the heating process
almost intact. These particles are collected in the
stratosphere and are called Brownlee particles, inter-
planetary dust particles, or micrometeorites. They are
also collected in sediments on Earth’s surface, where
they are called exclusively micrometeorites. Micro-
meteorites tend to have an asteroidal origin, like the
larger meteorites, because cometary material tends to
bemore fragile and enter Earth’s atmosphere at higher
speed and therefore tends to not survive the ablation
process.

Annual and Daily Variation of
Meteoroid Influx

The daily influx of extraterrestrial matter (Figure 1) is
dominated by particles of size 100–200 mm, to the

Figure 1 Overview of the influx of extraterrestrial matter in

Earth’s atmosphere and the nomenclature for sources, phenom-

ena, and products. Strength of 4m peak is uncertain.
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amount of 4� 107 kg yr�1 (for sizes up to 300 mm).
These meteoroids have a mean impact velocity of
25 km s�1, but with a wide range from 11 to
72 km s�1. Depending on the latitude of the observing
site,most cometarymatter in retrograde orbits and the
dust particles of the zodiacal cloud that have nearly
circular orbits are accreted in the morning hours,
between 3.00 and 6.00 a.m. local time (the apex
source), when the direction of Earth’s motion is
highest in the sky. For the same reason, the annual
variation of meteor rates tends to peak in autumn on
the Northern Hemisphere. On the other hand, the fall
of meteorites and micrometeorites peaks in the after-
noon hours because of the predominantly prograde
orbit of the asteroidal matter and the low encounter
speed needed for survival of this material (Figure 2).

The daily sporadic influx is interrupted by meteor
showers, which are significant especially for relatively
large meteoroids that cause visible meteors (10� 5 g to
103 g). Most well-known examples are the Perseid
shower in summer and the Geminid and Quadrantid
showers in winter (Table 1). Meteor showers are
caused by dust grains released from comets, which all
still approach Earth on nearly parallel orbits from
a direction called the shower radiant (RA, DEC in
Table 1). Unlike the sporadic background, the meteor
shower size distribution is not collisionally equilibrat-
ed. Most mass is in the larger grains, which replenish
the population of smaller meteoroids. The number
distribution index r ¼ Nðmþ 1Þ=NðmÞ tends to be
lower than those of the sporadic background. r relates
to the size distribution index: s ¼ 1þ 2:5 lg r.

During annual meteor showers, rates vary over time
scales of days to weeks. The variation of rates is
usually expressed in units of number influx called the
zenith hourly rate (ZHR; the rate of visible meteors
seen by a standard observer under ideal conditions,

that is, radiant in the zenith and the star limiting
magnitude5 6.5):

ZHR ¼ ZHRmax�10� B l0�l0;maxð Þj j ½1�
This defines the duration parameter B (degrees� 1). l0
(J2000) is the solar longitude, a measure of time and
related to the Earth’s position in its orbit.

Meteor outbursts represent even larger flux varia-
tions, that are observed when Earth crosses a recently
formed comet dust trail. In that case, rates can increase
up to 5orders ofmagnitude over a period of 1–2hours.
If the meteor rate increases to above 1 per second (or
ZHR4 1000 h�1), the event is called ameteor storm.
More important than such arbitrary nomenclature are
the dynamical processes that underlie these manifes-
tations. Comet dust trails are a manifestation of
ejected dust grains returning at different times from
their orbit around the Sun because of slightly different
orbital periods. The encounter conditions with fresh
comet dust trails vary from year to year because the
position of the trails relative to Earth’s orbit is a
function of the combined influence of planetary
perturbations, which move the trails in a pattern that
mirrors the Sun’s reflex motion around the barycenter
of the solar system. Over time, the natural waving
motion of the trails fades into a broader stream called
the filament, which is due to small perturbations of the
orbital period of grains so that different sections of a
dust trail catch up on each other. The filament causes
meteor outbursts with a duration of about a day. Such
structures persist only when the grains become
trapped inmean-motion resonances that prevent close
encounters with the planets, because such close
encounters will put the grains in the annual shower
component.

Meteor Luminosity

When ameteoroid encounters the Earth’s atmosphere,
an initial phase of V-shaped luminosity is seen,
possibly caused by the interaction of released electrons
with the ambient ionosphere. Leonids 1 kg in size have
been detected as high as 196 km.

Most meteors are not seen until around 135–
120 km, where massive evaporation of meteoric sili-
cates starts to occur. The process is one of sputtering,
where each impact of an air molecule releases a cloud
of atoms and molecules from the meteoroid. That
builds a small vapor cloud traveling along with the
meteoroid. Subsequent air collisions are with the
vapor cloud, creating a warm (T � 4400K) plasma in
the immediate wake of the meteoroid.

When thepressure of the vapor cloud exceeds that of
the ambient air, it expands as into a vacuum. The
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Figure 2 Typical variation of annual meteor shower activity. The

asymmetry is the result of a gradually precessing orbit.
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Table 1 Meteor showers

Shower lmax
0 ZHRmax B RA, DEC Vinf r b

Quadrantids 283.32 130 2.5230 149 43 2.2

g-Velids 285.7 2.4 0.12 124 � 47 35 3.0

z-Aurigids 285.8 (5) 0.20 077 158 16 –.–

Corona-Borealids 291.1 (15) 0.20 230 137 37 –.–

d-Cancrids 298.9 (11) 0.20 132 120 28 –.–

a-Leonids 309.0 (7) 0.10 157 106 29 –.–

a-Carinids 311.2 2.3 0.16 091 � 54 25 2.5

a-Centauridsa 319.4 7.3 0.18 209 � 58 57 2.3

o-Centaurids 323.4 2.2 0.15 175 � 57 51 2.8

d-Leonids 334.7 1.1 0.049 154 119 23 3.0

p-Virginids 343.9 (2) 0.10 184 101 32 3.0

S-Virginids 359.7 (4) 0.05 196 � 01 28 3.0

N-Virginids 013.7 (3) 0.05 210 � 08 30 3.0

g-Normid 353.0 5.8 0.19 249 � 51 56 2.4

d-Pavonids 011.1 5.3 0.075 309 � 63 60 2.6

April Lyridsa 032.4 12.8 0.22 272 133 49 2.7

m-Virginids 039.7 2.2 0.045 229 � 06 30 3.0

Z-Aquarids 046.5 36.7 0.080 339 � 01 66 2.7

a-Scorpiids 055.9 3.2 0.13 251 � 23 35 2.5

May Arietids 054.2 (7) 0.10 036 118 27 –.–

o-Cetids 064.7 (7) 0.08 028 101 35 –.–

o-Scorpiids 072.6 5.2 0.15 240 � 20 21 3.0

Daytime Arietids 075.9 54 0.10 038 124 38 2.7

z-Perseids 078.8 (17) 0.05 070 127 27 –.–

g-Saggitarids 089.2 2.4 0.037 285 � 27 29 2.9

t-Cetiids 095.7 3.6 0.18 096 123 66 2.5

b-Taurids 096.7 (20) 0.08 086 119 30 –.–

y-Ophiuchids 097.7 (2.3) (0.037) 251 � 15 27 2.8

t-Aquarids 098.0 7.1 0.24 342 � 12 63 2.5

u-Phoenicids 111.2 5.0 0.25 026 � 41 48 3.0

o-Cygnids 116.7 2.5 0.13 305 147 37 2.7

a-Capricornids 122.4 2.2 0.041 301 � 10 25 2.0

d-Aquardids N 124.1 1.0 0.063 324 � 12 42 3.3

Pisc. Australids 124.4 (2.9) (0.26) 337 � 33 42 3.2

d-Aquarids S 125.6 11.4 0.091 339 � 17 43 3.3

i-Aquaris Z 131.7 1.5 0.070 334 � 15 36 3.3

Perseidsa 140.19 84 0.20 046 158 61 2.5

k-Cygnids 146.7 2.3 0.069 290 152 27 2.2

g-Dorids 155.7 4.8 0.18 060 � 50 41 2.8

Aurigids 158.2 (9) 0.19 072 143 69 2.7

k-Aquarids 177.2 2.7 0.11 338 � 05 19 2.8

Sextantids 186.7 (9) 0.08 154 100 32 –.–

Draconidsa 197.2 2 0.20 262 154 20 3.0

S-Arietids 201.7 (3) 0.03 035 110 28 –.–

e-Geminids 206.7 2.9 0.082 103 128 71 3.0

Orionidsa 208.6 25 0.12 095 116 67 3.1

Leo-Minorids 209.7 1.9 0.14 159 138 61 2.7

Taurids 223.6 7.3 0.026 049 118 30 2.3

z-Puppids 232.2 3.2 0.13 117 � 42 41 3.4

Leonidsa 235.6 13 0.20 153 122 71 3.0

Puppids/Velids 251.7 4.5 0.034 128 � 42 40 2.9

Phoenicids 252.4 2.8 0.30 018 � 58 18 2.8

Monocerotids 260.9 2.0 0.25 100 114 43 3.5

Geminids 262.1 88 0.39 113 132 36 2.6

s-Hydrudids 265.5 2.5 0.10 133 � 01 59 3.0

Ursidsa 271.0 4.0 0.20 220 175 35 3.0

aOccasional outbursts.
br53.4 for sporadic meteors.
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density falls off rapidly with increasing distance from
the meteoroid, while the temperature increases. This
region may be the source of an emitting gas
(T � 10000K) detected in bright fast meteors. The
size of the vapor cloud is a function of particle mass
and speed, and about 1–10 orders of magnitude larger
than the size of the meteoroid (Figure 3).

The wake of the meteoroid is formed by the
impacting air molecules and by the vapor cloud
products that receive any amount of momentum
transfer, that is after a single collision. This is the
main source of light emission at visible wavelengths
and reflections. Head echoes are the signature of a
hard (unresolved) target crossing the radar beam. The
decelerated atoms will expand into the ambient air
until stopped by subsequent collisions. The mean free
path determines the initial radius (ri) of the wake,
which is of the order of a few meters and has the
following expected dependence on velocity and at-
mospheric mass density (ra):

ri � r�1
a V0:8 ½2�

Observed dependencies are less steep (ri � r0:4�0:8
a ),

perhaps due to fragmentation. At high elevations, the
attenuation due to this dispersion leads to low electron
densities and an ‘echo height ceiling’ effect in back-
scatter radar. For a radar at any givenwavelength there
is a height beyound which no underdense echoes can
be seen.

‘Overdense echoes’ occur when the electron density
remains high enough to cause mirror-like reflection.
Sometimes, there are also ‘head echo’ reflections,
which are the signature of a hard (unresolved) target
crossing the radar beam: a spherical region of ioniza-
tion that travels along with the meteoroid and may be
related to the spherical region of optical luminosity in
the bottom part of Figure 3.

The observed light intensity (I) and electron line
density (q) are proportional to the rate of loss of kinetic
energy from the ablated atoms:

I ¼ 0:5t
dm

dt
V2 ½3�

with t the dimensionless luminous-efficiency factor
t � 0:01, depending on the particulars of the meteor
emission spectrum (changing with speed, size, etc.)
and the instrument response.

The blue and green part of the optical spectrum
consists mainly of ablated metal atom emission lines
with a T � 4400K, mostly from iron and magnesium
lines. Fast and bright meteors show the violet Ca1

doublet. The orange and red part of the spectrum are
dominated by neutral oxygen and nitrogen lines and
by the first positive bands of molecular nitrogen.
Those atmospheric lines and bands are also well
described by T � 4000K vibrational temperature,
electronic excitation temperature, and chemical equi-
librium. Many deviations from local thermodynamic
equilibrium are observed, however, and are the focus
of study. Emissions from small organic molecules such
as CN have been reported, but with insufficient
certainty to derive quantitative information. The
thermal infrared spectrum remains unexplored, while
the near-UV spectrum is dominated by lines ofMg and
Mg1 at 280 and 285 nm (Figure 4).

For the typical response of the photographic plates
used in theHarvard Super Schmidt program (mph), the
brightness as a function of mass is given by

lg MðgÞ ¼ 5:15� 0:44 nmph

� 3:89 lg10 Vinf ðkm s�1Þ
� 0:67 lg10 ½sinðhrÞ� ½4�

where hr is the angle of incidence. The magnitudemph

refers to an ‘absolute brightness’ at a distance of
100 km. On this scale, a zero-magnitude Leonid

Figure 3 Meteor anatomy. Meteor vapor cloud in a model by

Olga Popova, whereby gas densities are shown. Meteor wake in a

model by Iain Boyd, showing translational temperatures. And a

high frame-rate still image of a �3 magn. Leonid meteor by Hans

Stenbaek-Nielsen.
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would weight 0.07 g, and would emit visible light
(400–700 nm) at a rate of about 500W.

The relationship between visual meteor magnitude
(mv) and the number of electrons formed per meter of
meteor path (the electron line density) is

mv ¼ 38� 2:5 lg10 q ðm�1Þ þ 2:5 lg Vðkm s�1Þ ½5�
This density pertains to the wake shortly after it has
formed. The density decays rapidly by ambipolar
diffusion, with a coefficient D � 4:2m2 s�1 at 93 km.

Altitude of Deposition

How is the ablated matter (and amount of ionization/
chemistry) distributed as a function of altitude? The
traditional approach is to assume the meteoroid mass
loss to be proportional to the kinetic energy trans-
ferred to the intercepted air mass:

dm=dt ¼ �LA
2z

m

r

� �2=3

raV
3 ½6�

where z is the heat of ablation of the meteoroid
material (0.2� 1.0� 103 J g� 1); L is the dimension-
less heat transfer coefficient that specifies the efficiency
of the collision process in converting kinetic energy to
heat (0.6, down to 0.1), A the effective surface area,
and r the density of the meteoroid (0.1–1.5 g cm�3).

From this, the classical expression for the rise and
fall of meteoric luminosity (or ionization) is derived.
For given atmosphere density profile raðHÞ:

I

Imax
¼ 9=4 n

ra
rmax
a

n 1� ra
3rmax

a

� �2

½7�

where max denotes the altitude (H) of the peak
brightness, which varies with entry velocity, zenith
angle, and meteor brightness:

Hmax ðkmÞ ¼ 21:2þ 44 lg10 V ðkm s�1Þ
þ 1:1Mmax ½8�

(and less for higher than typical meteoroid density).
Lightcurves from cometary meteoroids tend to be

flatter than this and are better described by a sum of
such classical lightcurves, the assumption being that a
matrix material is evaporated or bonding sufficiently
weakened for the meteoroid to break apart. Because
there is not much momentum transfer to the grains,
these fragments move along as a cloud of solid bodies.
Because the larger fragments penetrate deeper than do
the smaller ones, the size distribution determines the
shape of the composite lightcurve. In the calculations,
it is important to take into account the higher
deceleration of the smaller fragments, with the resist-
ance or drag equation:

dV

dt
¼ � GA

m1=3r2=3

� �
raV

2 ½9�

with G (5 0.5–1.0) the drag coefficient. Evidence for
such fragmentation comes from the early release of
sodium relative tomagnesium in optical spectroscopy,
the detection of jets of debris fragments ejected by
rapidly spinning meteoroids, and larger-than-ex-
pected emission volumes, among others.

The peak mass loss is also a function of the
sublimation temperature of the mineral components
of themeteoroid. Differential ablation is the term used
to indicate the deposition of matter in successive order
of volatility. The most volatile organic compounds
withT � 500K have their peak loss as high as 117 km
in a fast 71 km s� 1 Leonid, while the most refractory
compounds with T ¼ 2400K are expected to have
peak mass loss at 105 km altitude. For slower T ¼
25 km s�1 meteors, the organics are not lost until
90 km altitude in such models (Figure 5).

Evidence for differential ablation is much less
abundant than expected. In general, optical emission
spectra do not show evidence for differential ablation.
Only in unusually fragile meteoroids do we see an
earlier onset of the sodium than magnesium atoms,
thought to be because the minerals involved are more
efficiently exposed to the meteoric vapor plasma.
Lidar observations of neutral atom debris trails,
however, tend to show only one of several metal
atoms at a given altitude, which has been interpreted
as evidence for differential ablation. Such trails are
detected only minutes to hours after deposition, when
they drift by the lidar beam (Figure 6).
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Conditions in the Meteor Path after
Deposition

Once the air is heated and meteoric matter has been
deposited, the resulting pressure increase bymore than
a factor of 10 creates a shock wave which expands
radially. Assuming that this expansion occurs adia-
batically, then the pressure will equilibrate with the
background atmosphere when the radius is about
70m (example for a �12-magnitude Leonid). Even at
the very low pressures of the upper mesosphere/lower
thermosphere (o10� 8 hPa), the size and velocity
(Mach 270) of such a meteoroid would create a
turbulent wake (Reynolds number 42000).

At this stage, the meteor is detected in several
manners. First, a wake of the forbidden ‘green line’

emission at 557 nm from the O (1S–1D) transition is
seen in fast meteors, even relatively faint ones. The
emission is thought to be produced by the Barth
mechanism. Intensity estimates show that about 15%
of the O2 in the initial train is dissociated in a �12
magnitude Leonid.

Radar reflections have detected an extended wake
out to 6 km and several seconds behind a meteoroid
that contributes to nonspecular reflections at UHF and
VHF frequencies. Plasma instabilities and turbulence
are responsible for an anomalous cross-field diffusion
ofmeteor trails in the Earth’smagnetic field that can be
up to an order of magnitude faster than the rate
expected from ambipolar diffusion.

In bright fireballs, this wake is accompanied by an
afterglow rich in metal atom line emissions, without
the atmospheric emission lines that are typical for the
meteor spectrum. The afterglow has been interpreted
as due to secondary ablation from debris particles.
Evidently, even a fastmeteor candeposit solid debris in
its path, if conditions are favorable. The ablation
vapor cools from B4400K to B1200K in a few
seconds. This afterglow is followed by a recombina-
tion emission phase that lasts tens of seconds. Mid-
infrared emission remains detected for longer,
even when the gas and dust has cooled to just 50K
over the ambient T � 250K a few minutes after the
fireball.

A persistent chemiluminescence remains for Leo-
nids o�3 magnitude, which is called the persistent
train (Figure 7). Those persistent trains can be visible
atB13 magn/arcsec2 for many (tens of) minutes. The
dynamical mechanism is not yet fully understood.
Typically, two bright bands of light are seen with
various levels of billowing. The train spectrum
shows sodium emission lines and a broad molecular
band continuum identified as the FeO orange arc
band. The luminous mechanism is thought to be
the catalytic recombination of ambient ozone with
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oxygen atoms in the trail through the Chapman
airglow mechanism:

NaþO3 ! NaOþO2 ½10�

NaOþO ! Nað32P; 32SÞ þO2 ½11�

where the branching ratio of reaction [11] to produce
theNa (32P) state (which then emits an orange photon
at 589 nm) is about 10%.The FeOmolecular emission
band probably arises from

FeþO3 ! FeOð5D etc:Þ þO2 ½12�

FeOþO ! FeþO2 ½13�

where reaction [12] is sufficiently exothermic to
produce FeO in excited electronic states, leading to
emission between 570 and 630 nm with about a 2%
efficiency. Thus persistent trains serve as a model for
natural airglow emission, in extreme conditions and
with the reactive components separated. The trains
also probe upper atmosphere winds, wind sheer, and
diffusion rates.

On the relatively short time scale of the train
(minutes rather than hours), and particularly in the
presence of elevated concentrations of atomic oxygen,
it is very unlikely that the metallic species would be
able to form more stable reservoir compounds such
as NaHCO3 or Fe(OH)2. Indeed, between 85 and
100 km themeteoric metals are overwhelmingly in the
atomic form in the background atmosphere. The
postulated formation of nanometer-sized recondensed
meteoric vapor particles in the warmmeteor wake has
not yet been demonstrated. However, when the metal
atoms settle to lower elevations, they quickly react
chemically and can condense to form particles. Most
of this fine-grained material is expected to be trans-
ported to one of the poles, following seasonal winds in
the upper mesosphere.

Impact of Meteors on the Atmosphere

Much remains unknown about the chemistry in the
meteor wake plasma. Molecular abundances for
equilibrium air plasmas show that the T � 4400K
temperature enables interesting organic chemistry in
CO2-rich atmospheres, because not only CO2 but also
CO is dissociated. At slightly lower temperatures,
muchof the electron charge is balanced byNO1,while
at higher temperaturesmuch of the charge is carried by
C1 or O1. NO production rates may be affected by

nonequilibrium processes and have not yet been
calibrated by observations. The chemical changes of
organic compounds in meteors are of particular
interest, because meteors may have contributed more
than two-thirds of all infalling organic matter on the
early Earth, in a form determined uniquely by the
chemistry in the meteor wake and subsequent terres-
trial evolution.

Meteoric metals and ions contribute to a steady-
state condition in the upper atmosphere. The influence
of meteors may be measured directly during unusual
disturbances of meteoric influx. Indeed, variations of
OH airglow intensity with meteor shower rates have
been reported in conjunction with the 1999 Leonid
meteor shower. Tentative associations have also been
made between meteor ionization and the occurrence
of sprites and elves during lightning storms. Lightning
has been observed to travel along the ionized path of a
meteor.Much progress in these fields is expected in the
near future.

See also

Aerosols: Role in Cloud Physics. Carbon Dioxide.
Lightning: Overview. Noctilucent Clouds. Tropo-
spheric Chemistry and Composition: Carbon
Monoxide.
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Introduction

In the year AD 2000, less than 2 parts in 106 (on a
molar basis) of the Earth’s atmosphere was methane
(CH4), but this is a factor of 2.5more thanwas present
in 1750, prior to the industrial revolution. Even
though this abundance is relatively small, CH4 is the
most abundant organic compound present in the
atmosphere, and it significantly affects Earth’s climate
and atmospheric chemistry.

Methane is a greenhouse gas because it absorbs
infrared radiation in a region of the terrestrial IR
spectrum that is unaffected bywater vapor and carbon
dioxide (CO2), the two most important greenhouse
gases. Increasing amounts of atmospheric methane
will potentially contribute to climate change.Methane
currently contributesB0.5 W m� 2 to the total direct
radiative forcing (estimated to be 2.5 W m� 2) caused
by increasing atmospheric burdens of long-lived
greenhouse gases since 1750. Only CO2 contributes
more to this total (B1.5 W m�2).

Methane is removed from the atmosphere predom-
inantly by gas-phase oxidation initiated by hydroxyl
radical (HO). Changes in the abundance of atmos-
pheric CH4 affect the oxidizing capacity of the
atmosphere. It is predicted that increasing CH4 will
decrease the concentration of HO in the atmosphere,
so it will have an indirect effect on climate by affecting
the atmospheric residence times of other reduced,
long-lived greenhouse gases that are removed by
reaction with HO. Under conditions where the con-
centrations of compounds called nitrogen oxides
(NOx5NO1NO2) exceed a specific value, oxidation
of CH4 produces O3, itself an oxidant and greenhouse
gas. About 10% of CH4 emitted to the atmosphere is
oxidized in the stratosphere, where it produces H2O
vapor, again potentially affecting climate.

Since CH4 has the potential to impact climate
significantly, it has been targeted by the Kyoto
Protocol for reduced emissions. Strategies designed
to mitigate the potential impact of CH4 on climate
must rely on a detailed understanding of methane’s
atmospheric budget (i.e., the balance of sources that
emit CH4 to the atmosphere, and sinks that remove it).

Since many of the sources that emit CH4 to the
atmosphere are diffuse and highly variable in space
and time, estimating total emissions is difficult. (This is
in contrast to anthropogenic compounds such as the
chlorofluorocompounds, whose emissions are deter-
mined fromproduction.) Constraining the global CH4

budget requires a range of studies including back-
ground atmospheric measurements, laboratory and
field studies of CH4 emission rates and the factors
affecting these emission rates, and computermodeling
studies.

Atmospheric Methane Measurements

Ice Core Measurements

Systematic modern measurements of atmospheric
CH4 abundance began in 1978. Our knowledge of
CH4 abundance prior to that comes from analysis of
bubbles trapped in cores drilled and extracted from
polar ice. It is assumed that, for methane (and many
other stable, long-lived species), the air trapped in
polar ice bubbles accurately represents the atmosphere
at the approximate time period when the ice was
formed. The longest record of atmospheric CH4

abundance is for the past 420 000 years, based on an
ice core fromGreenland. This record shows that prior
to industrialization, atmosphericmethane varied from
about 350 parts per billion (ppb) during glacial times
to 700 ppb during interglacial times. (Note: most
methane measurements are reported in a dry-air, mole
fraction scale; ppb� nmol mol� 1.) There is excellent
correlation between CH4 abundance and indicators of
temperature extracted from the ice. In Figure 1,
globally averaged CH4 mole fractions estimated
from CH4 measurements in Antarctic ice cores,
Greenland ice cores, Antarctic firn, archived air from
Tasmania, and a globally distributed network of air
sampling sites (since 1984) are plotted for the past
1000 years. Detailed comparisons of measurements
from Arctic ice cores with those from Antarctic cores
indicate greater emissions in the Northern Hemi-
sphere than in the Southern. A large increase in
methane begins B200 years ago, and it is related to
increasedCH4 emissions associatedwith the increased
food and energy demands of a rapidly growing human
population.

Modern Measurements

The current global distribution of atmospheric CH4 is
based on measurements from sites that regularly
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receive ‘background’ air.Wedefine as ‘background’ air
that is well mixed and representative of a large volume
of the atmosphere. These observations generally fall
into two categories. The first is measurements from
discrete samples collected under predetermined mete-
orological conditions (wind speed and direction) at
low frequency (e.g., weekly) in vacuum-tight contain-
ers and shipped to a central laboratory for analysis.
The second method is measurements in situ at
relatively high frequency with an analytical instru-
ment maintained at the sampling site. Gas chroma-
tography with flame ionization detection is the
analytical method most often used for CH4 measure-
ments. There are advantages and disadvantages to
both methods. Measurement in situ can be costly if
multiple measurement sites are desired, and requires
highly skilled personnel to maintain the analytical
instruments and standard gases. While discrete sam-
pling can achieve extensive geographical coverage at
relatively low expense and with greater consistency
(since all samples are analyzed on the same analytical
system), it cannot match the sampling frequency of
measurement in situ.

The most cost-effective method for determining
large-scale features in the global CH4 distribution is
discrete sampling. In Figure 2, discrete sample meas-
urements from Barrow, Alaska, and the South Pole are
plotted aganist time. Some features in the data are
evident. At both sites, methane has been increasing
since the measurements started in 1984, and there is a
strong seasonality, with smaller values during summer
than during winter. At Barrow, the seasonal cycle

amplitude, and CH4 values in general, are larger than
at the South Pole, and the data are more variable at
Barrow. Since the samples fromboth sites are collected
with comparable equipment and methods, and both
sets of samples were analyzed on the same analytical
system, the larger variability at Barrow is due to real
variability in atmospheric CH4 and not to measure-
ment error.This is because there aremanyCH4 sources
in the northern latitudes, and, depending on the
trajectory of an air parcel, it can contain highly
variable amounts of CH4.Methane mole fractions are
B150 ppb larger at Barrow than at the South Pole,
because B70% of total CH4 emissions are in the
Northern Hemisphere and atmospheric mixing be-
tween hemispheres (or north–south mixing within a
hemisphere) is not rapid enough to homogenize CH4.
Measurements at sites from comparable latitudes
indicate that in addition to N–S gradients, longitudi-
nal (or E–W) gradients are also observed despite the
short time scales of zonal mixing. For example, CH4

values at Mace Head, Ireland (531 N in the eastern
Atlantic Ocean) are about 10 ppb lower than at Cold
Bay, Alaska (551N) and Shemya Island (531N) in the
Pacific Ocean. Qualitatively, this makes sense because
Cold Bay and Shemya are much closer to strong
Siberian sources of CH4 than Mace Head. Another
important constraint on the global CH4 budget is the
vertical gradient. Some measure of the vertical gradi-
ent is observable in Figure 3, where CH4 measure-
ments are plotted for air samples collected above Carr,
a site in northern Colorado at 1740m above sea level
(triangles) and Cape Grim, a site on the north-west
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Figure 1 Globally averaged CH4 mole fractions for the past thousand years determined from ice cores, firn, and whole air samples are

plotted with the left y-axis. (Values based on ice core and firn air are courtesy of D. Etheridge, CSIRODivision of Atmospheric Research,

Australia; modern record from CMDL cooperative air sampling network (available at www.cmdl.noaa.gov).) Increased radiative forcing
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coast of Tasmania in Australia (circles). At Carr, CH4

is, on average, greater at the surface, close to sources,
than it is aloft. The lowvalues above 6500mare due to
transport from the stratosphere. Above Cape Grim,
CH4 values are greater aloft, since there are few
sources of CH4 in the high Southern Hemisphere,
and most CH4 found in the Southern Hemisphere has
been transported from the Northern in the upper
troposphere.

Since CH4 at many sites is variable, particularly in
the Northern Hemisphere, it is useful to smooth the
measurements into zonally (i.e., longitudinally) aver-
aged values. To do this, data from the sampling sites
(Figure 2) are smoothed temporally and as a function
of latitude to define a surface of atmospheric methane
as a function of latitude and time (Figure 4). The
surface is used to calculate zonal averages; examples
for theNorthern andSouthern hemispheres andglobal
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Figure2 Methanemole fractions (ppb 5 nmolmol�1) determined fromweekly discrete samples plottedas symbols for Barrow,Alaska

(A) and South Pole (B). In both cases, smooth curves and deseasonalized trend lines fitted to the data are also plotted.
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Figure 3 Vertical profiles of CH4 over Cape Grim, Australia, for 15 March 1995 (circles) and Carr, Colorado, on 7 July, 1994 (triangles)
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averages are plotted in Figure 5A. The global averages
can be used to calculate the ‘burden’ (mass) of CH4 in
the atmosphere (B4825 Tg CH4; where 1 Tg 5 1012

g). When the burden is combined with an estimate of
the globally averaged methane atmospheric lifetime
(8.5 yr) and rate of increase (B14 Tg yr� 1 averaged
over the late 1990s), total emissions are calculated as:

dðCH4Þ
dt

¼ Q� CH4

t
½1�

where t is time CH4 atmospheric lifetime (years), Q
emissions (Tg CH4), and (CH4) the atmospheric
methane burden (also in Tg CH4).

Rearranging eqn [1] and solving for Q, the total
source of CH4 to the atmosphere is B580 Tg CH4

yr�1. Also plotted in Figure 5A are deseasonalized
trend curves for each time series. The timederivative of
the trend gives the instantaneous growth rate (shown
forNorthern and Southern hemispheres only in Figure
5B). From these curves, it is clear that the growth rate
of methane has been decreasing over the period of
these observations, and that significant interannual
variations in growth rate are present. Based on
measurements ofCH4 from ice cores andfirndiscussed
earlier, this decrease in growth rate likely started in the
late 1970s or early 1980s. Some useful constraints on
the global methane budget are also obtained from the
hemispheric averages. The interhemispheric differ-
ence, i.e., the average difference between the NH and
SH, is 90 ppb. Assuming an interhemispheric, ex-
change time of 1 year, a methane lifetime of 8.5 years,
and a rate of increase of 5 ppb yr�1, this difference

constrains the fraction of emissions in the Northern
Hemisphere to B70%.

Further tests of our understanding of the methane
budget are obtained when measurements are com-
pared with models that include atmospheric transport
and chemistry. For example, the observed seasonal
cycle of CH4 constrains seasonality of loss, emissions,
and transport.Model studies, described in more detail
below, have helped constrain methane’s budget, but
future progress is limited by weaknesses in model
transport schemes and limited measurements.

Isotope Measurements

Each source of atmospheric CH4 has a characteristic
range of values for the ratios of 14C and 13C relative to
12C, and D (i.e., 2H or deuterium) relative to H, and
the ratios depend on the mechanistic details of CH4

production and destruction prior to release to the
atmosphere. The ratios are measured relative to a
standard and expressed in parts-per-thousand devia-
tions from that standard (in units called ‘per mil’,
abbreviated %). Isotopic measurements of CH4 pro-
vide a constraint on its budget; the mass-weighted
isotopic composition of CH4 emissions must equal the
value found in the background atmosphere, after
accounting for fractionation during loss processes
(chemical oxidation and destruction by soil bacteria).
For example, CH4 from biological sources contain
about 1 part in 1012 14C, while the CH4 in natural gas
has no 14C. (Note: 14C is a radioactive isotope ofC that
has a half-life of 5730 years, therefore theCH4 in fossil
fuels contains no 14C.) To first order, comparing a
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measure of 14C in background atmospheric methane
with 14C in CH4 from biological sources will give an
indication of the amount of CH4 emitted during fossil
fuel exploitation. Further examples of the use of
isotopes are given later.

Sources of Atmospheric Methane

There are B10 major known methane sources at the
Earth’s surface. Emission rates frommany of these are
small and vary by orders of magnitude over a few
meters spatial scale, and they are distributed over
enormous geographical regions. As a result, total
emissions from some sources must be extrapolated
from relatively few direct flux measurements, so
uncertainties in these emissions are large. In contrast

to the diversity of sources, CH4 is produced by only a
few different processes, which are described below.

Biological Production

Decomposition of organic matter by bacteria under
anaerobic conditions in, for example, wetlands,
flooded soils, sediments of lakes and oceans, sewage,
and digestive tracts of ruminant animals, involves
complex simultaneous processes that can produce
methane as a byproduct. Three steps, each the
responsibility of different types of organisms, are
required: fermentation degrades organic matter into
simple fatty acids and CO2; other organisms convert
the fatty acids into CO2 and H2; and methane-
generating bacteria (methanogens) metabolize these
substrates (e.g., by hydrogen reduction of acetate,
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Figure 5 (A) Methane values determined from the surface plotted in Figure 5 as function of time, where cosine (latitude) was used to

weight for surface area. Plotted are Northern Hemisphere, global, and Southern Hemisphere mole fractions, from top to bottom.

Deseasonalized trend lines are also plotted for each. (B) Instantaneous CH4 growth rates determined as the derivatives of the trend lines

for the Northern (solid line) and Southern (dashed line) Hemispheres.

1290 METHANE



formate, and CO2) and CH4 is produced as a bypro-
duct. In wetland environments, methane that diffuses
through the water column must pass through an
oxic (oxygen-rich) layer at the surface. Most of
the methane that diffuses to the surface is destroyed
by methane-oxidizing bacteria (methanotrophs)
at the water–atmosphere interface. Generally, the
amount of methane released to the atmosphere
depends on the production rate and the efficiency of
transport through the oxic layer. In natural wetlands
and rice paddies, methane can also reach the surface
through bubbles and transport through the stems
of plants; in contrast to diffusion, these modes of
transport to the atmosphere are relatively efficient.
Methanogens are also found in the digestive tracts
of ruminant herbivores. The animals do not have
the enzymes necessary to digest cellulose; rather,
they have a symbiotic relationship with fermenting
bacteria that produce short-chain fatty acids, vita-
mins, and protein used by the animal for growth. As a
result, species such as cows, sheep, buffaloes, and
termites are efficient methane producers, and they
contribute B20% of total CH4 emissions to the
atmosphere.

Thermogenic Production

At a few kilometers’ depth in soils, pressure and
temperature become great enough for bacteria
to be unable to survive. Beyond this depth, organic
matter is decomposed by condensation and cracking
processes, eventually resulting in the formation of
coal, oil, and natural gas. Geological processes can
move layers containing natural gas close to the
surface and leakage of methane to the atmosphere
may occur through cracks, volcanic activity, or seep-
age from hydrate reservoirs in the ocean sediments.
However, the largest emission of thermogenic meth-
ane results from human exploitation of fossil fuel
resources. At every step along the line of mining,
distribution, and use, small fractions of methane are
released to the atmosphere. Globally integrated,
the contribution of these sources is estimated to be
15–20% of total emissions.

Pyrogenic Production

The incomplete combustion of organic material yields
many compounds, including CO, formaldehyde, ace-
tonitrile, and methane. Large amounts of biomass are
burned in the tropics in mostly human induced fires
related to shifting cultivation, deforestation, burning
of agricultural wastes, and the use of biofuels. The
fraction of carbon that is released as methane depends
on the fuel type and the burning conditions. For
example, the efficient burning of dry savanna releases

relatively small amounts of CH4 compared with the
smoldering phase of forest fires. Since the timing and
the extent of tropical biomass burning is closely
related to climatic factors (precipitation and temper-
ature), these sources vary strongly with season and
contribute to interannual variations in atmospheric
methane abundance and its isotopic ratios.

Emission Estimates

Table 1 summarizes the most important known
sources of methane. Recent estimates of their annual
source strengths are given for preindustrial times, the
present, and the near future. As can be inferred from
these estimates, the 2.5-fold increase of atmospheric
methane since preindustrial times is explained by the
increases of anthropogenic sources such as fossil
fuel use, rice cultivation, and cattle production. At
present anthropogenic emissions are estimated to
contribute B60% of total atmospheric CH4 emis-
sions. Studies of future emission scenarios suggest
that this fraction will increase to 80% in 2050. At
present, natural wetlands, such as tropical swamps,
temperate and boreal peat land, and tundra still
constitute the largest source class of methane. During
preindustrial times, about 75% of atmospheric meth-
ane was emitted from these ecosystems. In Figure 6,
model calculated distributions of methane are plotted
for the past (A), present (B), and future (C) based on
the global budgets in Table 1. In addition to an
increase of the global mean abundance with time, it
can also be seen that regionswithhighCH4values shift
from wetland and biomass burning regions in the
tropics to the industrialized centers of the Northern
Hemisphere.

Methane sources can be characterized by source-
specific isotopic signatures. Since these characteristics
stem from the process of methane formation, they
follow roughly the source classification given
above. In fact, they have been listed from relatively
depleted to relatively enriched in 13C and deuterium.
While methanogenesis results in emissions that
are depleted of these isotopes, methane consumption
by methanotrophs results in enrichment of these
isotopes in the methane left behind. As a result,
the net effect depends on the balance between
bacterial production and oxidation of methane.
Methane derived from biomass burning retains the
isotopic characteristics of the fuel, which is slightly
different for C-3 ðd13C � �27%Þ and C-4 plants
ðd13C � �18%Þ, but it is highly enriched in 13C
relative to the isotopic composition of background
atmospheric methane ðd13C � �47%Þ. As mentioned
earlier, fossil sources can be distinguished from other
sources by the absence of the radioisotope 14C.
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Atmospheric Sinks

About 90% of atmospheric methane is removed from
the atmosphere by reactions initiated by hydroxyl
radical (HO). The amount of HO in the atmosphere
depends on the concentrations of O3 andH2O (vapor)
and the UVactinic flux as follows:

O3 þ hnðl � 330 nmÞ ! O2 þOð1DÞ ½I�
Most of the O(1D) is quenched by reaction with N2 or
O2 to produce ground-state O(3P), but in the tropics
(where up to 3% of air is water vapor) up to 25%
reacts as follows:

Oð1DÞ þH2O ! 2HO ½II�
(Note: the rate coefficient for reaction of O(1D) with
H2O is 5 to 10 times faster than the quenching
reactions with N2 and O2, so despite the large atmos-
pheric concentrations of N2 and O2, a significant
fraction of O(1D) will result in HO production in the
tropics.) The photolysis of O3 to form O(1D) depends
on sunlight, so HO production varies diurnally. Much
of tropospheric O3 is produced in situ. The chem-
istry that produces O3 is complex, and the concentra-
tion of O3 is a balance between production and loss.
Oxidation of CH4 is initiated by the following
reaction:

CH4 þHO ! H2Oþ CH3 ½III�

The methyl radical (CH3) adds O2 to form CH3O2.
The subsequent CH4 oxidation reactions affect O3,
but the sign of the effect depends on the abundance of
oxides of nitrogen (NOx). In high-NOx environments
(430 ppt) (ppt5 parts per trillion5 1012), O3 is pro-
duced, but with NOxo30 ppt, O3 is normally
destroyed. The abundance of NOx also affects HO
directly. In NOx-poor environments HO is destroyed,
but with sufficient NOx present CH4 oxidation
regenerates HO. On average, photochemistry of the
troposphere is limited by the amount of NOx , which
means that the oxidation of methane is a net sink of
radicals. As a consequence, an increase of methane is
expected to decrease HO. Ultimately, most of the CH4

that reacts with HO produces CO2.
Oxidation of CH4 also influences the isotopic

composition of methane. The rate coefficient for
reaction of HO with 12CH4 is B0.5% greater than
that for reaction with 13CH4. This means that CH4

found in the background atmosphere is enriched in 13C
relative to the mass-weighted sum of its sources.

In the stratosphere, reactions with chlorine and
oxygen atoms (O1D) become significant sinks of
methane, in addition to HO reaction. In the meso-
sphere, photolysis also contributes to CH4 destruc-
tion, although this process remains negligible relative
to the total sink. Stratospheric methane is relatively
enriched in 13C, both because it has been in contact
with 12C-depleting HO radicals for a relatively long
time and because the Cl reaction leads to a larger
fractionation of 13C than the HO radical reaction.
Oxidation of methane in the stratosphere is an
important source of stratospheric water vapor.

Modeling as a Tool to Constrain
the CH4 Budget

Various types of numerical models have been devel-
oped to improve our understanding of the atmospheric
methane budget. As discussed earlier, the global
burden of methane is relatively well constrained by
measurements. Highly simplified models that repre-
sent the atmosphere with one or a few boxes (called
box models) have been used to interpret observations
of atmospheric CH4 over large spatial scales, and to
calculate global sources and sinks. To interpret real-
istically the measurements on subhemispheric scales
or at specific air sampling locations, models with finer
spatial and temporal resolutions are needed, including
detailed parameterizations of atmospheric transport
and chemistry.

Box models and three-dimensional (latitude, longi-
tude, and altitude) chemistry transport models typi-
cally calculate atmospheric abundances based on a set

Table 1 Estimates of annual CH4 emission rates (in Tg CH4,

where 1 Tg51012 g) for years 1800, 1993, and 2050

Sourcea Pre-industrial

(1800)

Present

(1993)

Future

(2050)

Fossil fuel use (B, T) 90 175

Waste treatment (B) 5 75 120

Biomass burning (P) 10 35 50

Domestic ruminants (B) 5 95 225

Rice agriculture (B) 10 80 95

Natural wetlands (B) 160 145 145

Termites (B) 20 20 20

Oceans (B) 15 15 15

Wild ruminants (B) 15 5 5

Wild fires (P) 5 5 5

Other sources (B) 5 25 10

Total 250 590 865

Soil oxidation 12 30 45

Tropospheric oxidation 222 510 750

Stratospheric oxidation 16 40 60

Total 250 580 855

aCodes in parentheses refer to process responsible for CH4

production: B5biogenic, T5 thermogenic, P5 pyrogenic.
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of hypothetical emissions that are prescribed as
boundary conditions to the model. The simulated
and observed abundances are then compared to
test how realistic these boundary conditions were.
It is also possible to compute the sources and sinks
that result in the best possible agreement between
model and measurements. This technique, called
inverse modeling, is an attempt to reconstruct
the sources and sinks from atmospheric measure-
ments. Here it is assumed that differences between
measurements and the ‘forward’ computed abun-
dances can be attributed to sources and sinks. This
requires that inaccuracies in the representation
of transport and the errors caused by comparing
measurements at a fixed site with model ‘grid-
box’ averages (where a grid box may include
200 000 km2) are small compared with the uncertain-
ties in the sources. Further, there are currently too few
measurements to properly constrain this type of
inverse problem; the influence of sources on atmos-
pheric abundance is quickly attenuated by atmospher-
icmixing as the distance of themeasurements from the
sources increases.

Glossary

Mole fraction (moles of substance of interest)/(moles
of air) in a sample; e.g., CH4 measurements are
reported in nmolmol� 1, abbreviated ppb (parts per
billion by moles). Mole fractions normally reported
for ‘dry air’.

‘Delta notation’ d ¼ ðRsample=Rstandard � 1Þ�1000,
expressed in per mil (%), where R is the ratio of
rare to abundant isotopes; e.g., to get d13 CH4,
R ¼ 13C=12C.

Sink a process that removes CH4 from the atmos-
phere; e.g., chemical oxidation.

Burden total mass of CH4 in the atmosphere, usually
expressed in Tg CH4.

Methanotroph methane-eating bacterium.
Methanogen methane-producing bacterium.

See also

Biogeochemical Cycles: Carbon Cycle. Chemistry of
the Atmosphere: Chemical Kinetics; Gas Phase Reac-
tions; Ion Chemistry; Principles of Chemical Change.Data
Analysis: Time Series Analysis. Isotopes, Stable. Nu-
merical Models: Chemistry Models. Observations for
Chemistry (In Situ): Gas Chromatography. Ozone:
Photochemistry of Ozone; Role in Climate. Paleoclima-
tology: Ice Cores. Tropospheric Chemistry and
Composition: Hydroxyl Radical; Oxidizing Capacity.
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Introduction

The atmosphere undergoes a dramatic overturning
when a convective storm forms.Warm,moist air in the
boundary layer is transported aloft, while relatively
cool and dry air is brought down to the lowest levels.
The primary mechanism that transports the latter air
mass to the boundary layer is the downdraft. The
thermodynamic conditions of the downdraft are
familiar to the general public once it reaches the
surface by the respite from hot, humid conditions that
are prevalent in the ambient air that is convectively

unstable. The leading edge of this outflow is referred to
as the gust front.

Many convective downdrafts do not produce strong
winds at the surface; however, in some instances the
downward velocities and subsequent outflow winds
can result in severe damage. Indeed, these strongwinds
can result in considerable crop, tree and structural
damage and have been identified as a causal factor in a
number of aircraft accidents. These intense wind
events are called downbursts and are defined as an area
of strong winds produced by a downdraft over an area
from o1 km to 10 km in horizontal dimensions.
Downbursts can be further subdivided into macro-
bursts and microbursts with the following definitions:

� Microburst. Small downburst, less than 4 km in
outflow diameter at the ground, with peak winds

1294 MICROBURSTS



lasting only 2 to 5min. They may induce dangerous
tailwind and downflow wind shears which can
reduce aircraft performance.

� Macroburst. Large downburst, with 4 km or larger
outflow diameter at the ground; damaging wind
lasts 5–20min. An intense macroburst causes tor-
nado-force damage up to F3 intensity (on the Fujita
scale of damage intensity).1

It is the former phenomenon that has garnered the
most interest, owing to its small temporal and spatial
scales. Indeed, during the period 1974–1985, micro-
burst winds were a factor in at least 11 civil transport
accidents and incidents in the United States, involving
over 400 fatalities and 145 injuries. Extensive research
has been focused on documenting the reasons why this
small subset of downdrafts produces damagingwinds.

Fundamentals of the Downdraft

In order to understand themicroburst phenomena, it is
instructive to describe the fundamental characteristics
of the downdraft andhow it differs from theupdraft. A
naive view of the downdraft is that it is an upside-
down version of the updraft; however, this is far from
an accurate description. While the updraft is typically
slightly supersaturated, the downdraft is often appre-
ciably subsaturated, owing to the inability for
condensate cooling by evaporation, melting, or sub-
limation to offset completely the warming from
adiabatic compression. For a number of years this
was, perhaps, one of the greatestmisconceptions of the
thermodynamic characteristics within the downdraft.
It was often assumed that downdraft air parcels
descendedmoist adiabatically (i.e., assumed saturated
descent). The wet-bulb temperature was also believed
to be representative of the temperature within a
descending air parcel. It is now known that the
saturated wet adiabat can only be approached by the
downdraft if it is weak (this allows sufficient time for
latent cooling to offset adiabatic compression during
descent), the mean drop size is small (see discussion
below), or the rainfall is heavy.

It is more important to document the microphysical
details of the liquid or solid condensate within the
downdraft thanwithin the updraft. For example, for a
prescribed water content, small raindrops are more
conducive to producing stronger downdrafts than
large drops for two reasons: (1) there is greater surface
area exposed to the environment; and (2) smaller
drops have greater curvature which results in a larger

equilibrium vapor pressure and, hence, lower relative
humidity. Both effects increase the potential for
evaporation, resulting in latent cooling. Finally, indi-
vidual parcel vertical excursions tend to be less than
4 km for downdrafts and often greater than 10 km
(i.e., the depth of the troposphere) for updrafts. The
primary reason for this difference in length scale is that
the positive buoyancy in the updraft is much greater
than the negative buoyancy in the downdraft.

The forcing mechanisms of the microburst can be
understood by considering the inviscid vertical
momentum equation

d�ww

dt
¼� 1

r
q�pp
qz

ð1Þ

þ g

y0v
yv0

�
�

cv
cp
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p0
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�
ð2Þ ð3Þ ð4Þ
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wherew is themean vertical velocity, p the pressure, y
0
v

the virtual potential temperature, cp the specific heat
at constant pressure, cv the specific heat at constant
volume, rc the mixing ratio of cloud water, rr the
mixing ratio of rainwater, and ri themixing ratio of ice
water.

The primes denote departures from a basic state
(subscript 0), which varies only in height.

Term 1 is the vertical gradient of perturbation
pressure. Term 2 represents thermal buoyancy ac-
counted for in parcel theory and term 3 is the
perturbation pressure buoyancy. Condensate loading
of cloud, rain and ice water are represented by term 4.
In addition, entrainment (ormixing) of environmental
air with cloudy air or precipitation has been shown to
be an important factor in downdraft dynamics.

The vertical gradient of perturbation pressure is
generally small for most downdrafts; however, its
effect becomes significant in intense cumulonimbi and
mesoscale convective systems associated with strong
vertical wind shear. Strong downdrafts can develop
owing to rapid pressure falls generated in response to
an intensifying low-level mesocyclone within a super-
cell thunderstorm.

The effect of thermal buoyancy is the best-known
term in the vertical momentum equation. Relatively
cold (hot) air promotes negative (positive) vertical
velocities. The importance of using virtual potential
temperature in the vertical momentum equation has
been shown. Increasing the environmental relative
humidity at low levels increases the virtual tempera-
ture difference and will lead to stronger downdrafts
even if the ambient air temperature remains the same.
The pressure buoyancy term suggests that a downdraft

1The F-scale rates the damage intensity of tornadoes and ranges
from F1 to F5. A rating of F5 has been associated with the most

intense tornadoes.
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will be produced if an air parcel has a higher
perturbation pressure than its surroundings. This
effect is ignored in classical parcel theory, which
assumes that the environmental and parcel pressures
are equal. In general, this effect is relatively small in
comparison to thermal buoyancy and the pressure
gradient effects.

Some of the early hypotheses on downdrafts sug-
gested that the air was initially dragged downward by
theweight of precipitation particles (term4 in eqn [1]),
then cooled by evaporation. This has been reinforced
by numerous studies that have examined the forcing
mechanisms of downdrafts. While precipitation drag
can be important in initiating a downdraft, the critical
role of latent cooling produced via evaporation can be
shown by considering a case where the water mixing
ratio is evaporated completely. A water content of
1 g kg�1 is approximately equivalent to a temperature
deficit of 0.301C in the buoyancy term in eqn [1]. If
this water mixing ratio evaporates then the resulting
temperature deficit is given by

y
0
v ¼ L

rr
cp

� 2:5K ½2�

where L is the latent heat of evaporation.
Thus, the temperature deficit has increased by a

factor of 8.3 or nearly an order of magnitude by
evaporating thewater.Accordingly, the evaporationof
raindrops rather than water loading would be more
effective in accelerating a downdraft.

The effect of entrainment is complex. At higher
levels, the entrainment of dry air promotes downdrafts
by evaporation or sublimation of cloudy air and
precipitation, especially when the entrained region
corresponds to the level of minimum equivalent or
wet-bulb potential temperature. The effect of entrain-
ment is different at lower levels once a downdraft
forms. If the downdraft is driven primarily by negative
thermal buoyancy then its intensitywill be determined
by the virtual temperature difference between the
descending air parcel and the environment as shown in
eqn [1]. Mixing of environmental air at this stage will
deplete the negative buoyancy by decreasing this
difference and will lead to reduced downdraft speeds.

The Microburst

Thediscovery of themicroburst canbe traced back to a
series of aircraft accidents and the existence of small-
scale divergent damage patterns in crops and forests
discovered after the passage of a thunderstorm. Both
events were shown to be a result of a transient but
intense downdraft accompanied by strong outflow.
The typical scenario for a microburst-related aircraft

accident is shown in Figure 1. When an aircraft flies
through amicroburst during takeoff it first encounters
a headwind component from the microburst outflow.
This headwind increases lift by increasing the relative
airflow over the wing. The plane may then pitch up,
and the pilot may attempt to compensate by leveling
off. But only a matter of seconds later the plane
encounters a decreasing headwind, downdraft (within
the center of the microburst), and then a strong
tailwind. The plane has lost lift and could find itself
flying too low andwith insufficient air speed to avoid a
crash. A similar scenario could be created when an
aircraft is on approach for a landing at an airport.

The conceptual model of the descendingmicroburst
is shown in Figure 2. The microburst is characterized
by a shaft of strong downward velocity. It is also
associated with strong divergent flow at its center
when it reaches the ground, and is followed by an
accelerating outburst of strong winds in an overturn-
ing rotor propagating away from the center of the
microburst. The highest wind speeds are usually
associated with these rotors with the peak speeds
occurring in the lower portion of the ring vortex,
where outflow speeds are augmented by the circula-
tion of the ring. The mechanism for intensifying the
outflowwinds is the stretching of the vortex as the ring
expands. Horizontal pressure gradients can also con-
tribute to high-outflow wind speeds, as discussed
below. The vertical gradient of perturbation pressure
(refer to eqn [1]) appears to play a relativelyminor role
in most microbursts. The exception appears to be the
microburst associated with the supercell storm.
Microburst damage has been frequently documented

Microburst

Figure 1 Schematic diagram illustrating the impact of a micro-

burst on aircraft performance during takeoff. The airplane first

encounters a headwind and first experiences added lift. This is

followed in short succession by a decreasing headwind compo-

nent, a downdraft, and finally a strong tailwindwhichmay lead to an

impact with the ground. Composite drawing based on numerous

studies of aircraft accidents. (See Fujita TT (1985) The Downburst

– Microburst and Macroburst. SMRP Research Paper No.

210, NTIS PB-148880. Chicago: University of Chicago Printing

Department.)
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very near tornado damage tracks.Minimum pressures
within the low-level mesocyclones are believed to
enhance the downward velocities in these downdrafts.

The microburst in three dimensions is shown
schematically in Figure 3. A key feature in the figure
is that a number of microbursts are associated with
small-scale circulations aloft. In fact, it is common for
many microbursts to rotate, with the strongest ones
associated with stronger rotation. The magnitude of
the vertical vorticity within these circulations can be
comparable to the vorticity present in the parent
mesocyclone associated with a tornado.

Results from numerous observational and numeri-
cal studies suggest that microburst winds are associ-
ated with a continuum of rainrates that range from
heavy precipitation from thunderstorms to virga
shafts from either altocumuli, or clouds that have
been referred to as shallow, high-based cumulonimbi.
New definitions were created to account for these two
extreme microphysical situations:

� Dry/Low-reflectivity microburst. A microburst as-
sociated with o0.25mm of rain or a radar echo
o35 dBZ in intensity.

� Wet/High reflectivity microburst. A microburst
associated with 0.25mm of rain or a radar echo
435 dBZ in intensity.

Low-Reflectivity or Dry Microburst

Numerical simulations have shown the sensitivity of
downdraft intensity as a function of drop size, rain
intensity, and subcloud lapse rate. One of their
conclusions is that when the environmental lapse
rate is approximately equal to the dry-adiabatic lapse
rate then the rates of evaporationplace little restriction
on the downdraft magnitude, and even in light
precipitation there may be strong downdrafts gener-
ated. In the absence of pressure effects and in light rain
situations (i.e., dry microbursts) it is often convenient
to view the maintenance of the downdraft as the
competing forces of cooling due to evaporation and
sublimation versus dry-adiabatic warming due to
compression. When the subcloud lapse rate is dry-
adiabatic, any cooling by condensate results in a
negative temperature perturbation that will maintain
the downdraft. This effect increases with the depth of
dry-adiabatic lapse rate. Compressional warming in a
descending parcel can counteract this cooling when
the subcloud lapse rate is less than dry-adiabatic.
Condensate loading plays a relatively minor role
in producing dry microbursts because only light
precipitation is present.

These results have been confirmed by observations
of virga shafts from weakly precipitating cloud
systems producing low-reflectivity microbursts. These
microbursts are particularly hazardous to aircraft
because the parent cloud and pendant virga shafts
appear innocuous. The weak echoes and low precip-
itation rates often result in little or no temperature
change at the surface. In some cases, the air temper-
ature has been shown to rise although the virtual
temperature typically falls. Figure 4 is a plot of
microburst occurrence as a function of radar reflec-
tivity and sub-cloud lapse rate. Each point on the
figure represents a microburst event identified by
Doppler radar. Microbursts can be seen to occur most
frequently at lapse rates of temperature exceeding
B8.5Kkm� 1. Practically no microbursts occurred
for lapse rates less than B8.0Kkm�1. The axial
profiles for cooling owing to phase change of conden-
sate for the dry microburst is shown in Figure 5. The
dry microburst is associated with small cooling but it
occurs through a deep column. Thus the integrated
negative buoyancy is large. The prevalence of dry
microburst over the high plains of the United States is
attributed largely to the deep, dry-adiabatic layer
characteristic of this geographic region.

Midair microburst Surface microburst

High winds High winds

Touchdown

Figure 2 Conceptual model of a microburst hypothesized to

explain ground-damage patterns. Three stages of development

are shown. The regions of high wind within the rotor are indicated.

(Adapted from Fujita TT (1985) The Downburst – Microburst and

Macroburst. SMRP Research Paper No. 210, NTIS PB-148880.

Chicago: University of Chicago Printing Department.)
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Figure 3 Three-dimensional visulization of a microburst. (Adap-

ted from Fujita TT (1985) The Downburst – Microburst and

Macroburst. SMRP Research Paper No. 210, NTIS PB-148880.

Chicago: University of Chicago Printing Department.)
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The sensitivity of the dry microburst to the micro-
physics of the condensate has also been shown.
Numerical studies initiated with different precipita-
tion particles reveal that snowflakes produce down-

draft speeds nearly twice as strong as those generated
by hail. The sublimation process associated with
snowflakes is important for three apparent reasons:
(1) the numerous low-density snow particles readily
sublimate, with much of the snow content depleted
before melting into rain; (2) the latent heat of
sublimation is greater than the latent heat of either
evaporation or melting; and (3) the cooling from
sublimation takes place at a relatively high altitude
within the deep adiabatic layer, allowing the down-
draft to accelerate through a deep column.

High-Reflectivity or Wet Microburst

In more stable lapse rates, the downdraft tends to be
warmer than the environment. In such a case, the drag
of the condensed water may become important in
accelerating the downdraft, especially at high levels.
Accordingly, higher rainwater mixing ratios (i.e.,
radar reflectivities) are required for microbursts to
form. This effect is well illustrated in Figure 4. The few
microbursts that occurred for lapse rates less than
B8.0Kkm� 1were associatedwith radar reflectivities
in excess of 45 dBZ, suggesting that higher water
contents are needed to produce strong downdrafts.
This often manifests itself in radar reflectivity images
as a prominent descending precipitation core. It has
been shown that melting also plays an important role
in producing a wet microburst. Narrow shafts of hail,
coincident with the microburst downdraft, embedded
within a heavy shower of large raindrops have been
noted.

The comparison of wet and dry microburst simula-
tions is shown in Figure 5. The dry and wet micro-
bursts were driven by snow and hail, respectively.
Note that the temperature deviations for the two cases
are different. The dry microburst is associated with
smaller cooling, but it occurs through a deep column.
The temperature deviation for the wet microburst is
largest at the ground but diminishes rapidly with
height until it becomes warmer than the ambient air
above 1 km. The warming aloft for the hail case
indicates the importance of precipitation loading in
the early stages of the wet microburst which over-
comes the positive buoyancy. It is hypothesized that
hail produces stronger microbursts in more stable
environments, since the downdraft is maintained only
at lower elevations where it is less likely to be depleted
of negative buoyancy because of compressional
heating. Note that strong negative buoyancy is con-
fined to the lowest levels of the wet microburst in
Figure 5. The dominance of negative thermal
buoyancy near the ground combined with the
decreasing effect of precipitation loading can result
in a displacement between the location of the strongest
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Figure 4 Plot of microburst occurrence as a function of radar
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downdraft velocities and the maximum in radar
reflectivity.

An important observation was revealed in the
simulations shown in Figure 5. Although the down-
draft associated with the dry microburst was much
deeper and almost twice as intense as that of the wet
microburst, both produced identical outflow speeds.
This points to the immense difficulty in estimating
peak outflow speeds based on the expected downdraft
velocities. The cold air for the wet microburst is
situated primarily at low levels in Figure 5. Although
this cooling near the ground is not able to translate into
strong enhancement of the downdraft, itmay strength-
en the outflow speeds through enhanced horizontal
pressure gradient forces produced by the formation of
a mesohigh. Dry microbursts are typically accompa-
nied by small, cold pools (i.e., weakmesohighs). Thus,
strong outflow winds for the dry microburst are
possible only when the downdraft speeds are also
intense. This comparison of these two cases empha-
sizes the nonlinear relationship between vertical
velocities and outflow speeds.

Forecasting and Detection

Although intense microbursts are often associated
with the supercell storm, most microbursts develop
within environments characterized by weak vertical
wind shear. The thermodynamic profile determined by
nearby upper-air soundings are particularly useful
for identifying when strong, convectively induced

winds are likely to form. The two types of profiles
that have been associated with strong outflow are
the ‘inverted V’ profile conducive to dry or low-
reflectivity microbursts and the weakly capped wet or
high-reflectivity microburst. The former is shown in
Figure 6. Its main characteristics are the deep, dry-
adiabatic, subcloud layer from near the surface to the
midlevels, a dry lower layer, and a moist midtropo-
spheric layer. The convective instability is small
or marginal, therefore the convection is often
weak. The latter characteristic is consistent with
numerous observations of dry microbursts associ-
ated with virga shafts pendant from innocuous
clouds. Forecasting schemes are usually based on the
1200 UTC sounding and expectations for solar
heating and maximum surface temperatures later in
the day.

Wet microbursts profiles typically display high
moisture values through a deep, surface-based layer,
with the top of the moist layer sometimes extending
beyond 4–5 km AGL. Relative humidities above
the moist layer are low. The dry-adiabatic subcloud
layer may only be 1.5 km deep and the capping
inversion is weak. It has been suggested that the
vertical profile of equivalent potential temperature
can be useful in identifying environmental conditions
capable of supporting wet microbursts (Figure 7).
The difference in the equivalent potential tempera-
ture between the surface and midlevels equal to or
greater than 201C appears to be a characteristic
profile during wet microburst events. In addition

Dry microburst soundings
over the 

high plains
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_ Wet-bulb potential temperature 
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Figure 6 Schematic of the characteristics of the thermodynamic profile of the morning and evening soundings favorable for dry

microburst activity over the high plains. (Reproduced with permission from the American Meteorological Society from Wakimoto RM

(1985) Forecasting dry microburst activity over the high plains.Monthly Weather Review 113: 1131–1143.)
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to the morning sounding, predicted moisture
and thermal advection patterns must be taken into
consideration.

Microburst detection in real time has focused on the
use of single-Doppler radar. A number of radar signa-
tures have been identified that occur typically 2–6min
prior to the initial surface outflow. Descending reflec-
tivity cores, increasing radial convergence within the
cloud (in response to an accelerating downdraft),
intense small-scale circulations, and weak-echo reflec-
tivity notches (in response to entrainment of low-
equivalent-potential-temperature air) have all been
found to be important microburst precursors.

Basic research on microbursts has been quickly
and successfully transferred into the operational

community. Many of the airports around the United
States have now implemented systems that provide
timely warning to air traffic controllers and pilots
of impending wind shear events associated with
microbursts.

See also

Convective Storms: Convective Initiation.Gust Fronts.
MesoscaleMeteorology:MesoscaleConvectiveSystems.
Tornados.
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Introduction

On the global scale the climate is mainly determined
by the incoming solar radiation. The word climate
itself stems from the Greek klima, which means
inclination and is appropriate for describing the effects
of latitude on the availability and distribution of solar
energy. On very small scales, however, global factors
set only the boundary conditions, while the actual
climate at any particular location is defined by the
local surface properties. An outstanding example is
that of an oasis surrounded by a desert. Obviously, it is
not the Earth’s orbital parameters nor the composition
of the atmosphere that determine the climatic state
within the oasis but rather the local soil moisture
conditions.

The microclimate of a particular location can
hence be defined as the statistical state of the
atmosphere in the layer being affected directly by
the characteristics of the underlying surface. In
this sense, microclimatology is the study of the
long-term average and typical variability of climate
variables in this lowest layer of the atmosphere,
and physical microclimatology can be thought of as
the study of the processes by which the lowest layer
of the atmosphere responds to surface boundary
conditions.

The processes controlling the microclimate at a
particular location involve time scales from a few
seconds to several years. For example, evapotrans-
piration from a vegetated surface is regulated on the
short term by the physiological processes of the
plants, whereas decadal changes in the species
composition of that surface determine its long-term
trends.

Like the temporal scales, the spatial scales usually
associated with the term microclimate encompass
several orders of magnitude. The microclimate of
animals or single plants deals with scales ranging
from centimeters to meters. On the other hand, the
characteristic scales associated with the microclimate
of an extended downtown area with high-rise build-
ings are on the order of hundreds of meters, or
kilometers.

Variables Describing and Determining
Microclimate

As usual in climatology, the microclimate of a partic-
ular location is characterized through a number of
climate variables. Traditionally, these variables are
those describing the thermodynamic and dynamic
state of the atmosphere, i.e. radiation, temperature,
humidity,wind speed, and pressure (density). Depend-
ing on the research focus, other variables, such as trace
gas concentrations, should be added to the list. For
example, the health and the comfort of the ever
increasing number of people living in cities is directly
related to the concentration and distribution of air
pollutants, which are additionally required to charac-
terize the microclimatic state of this particular
environment.

As for the surface properties determining the
microclimate, the following groups of variables are
relevant in the case of simple, flat surfaces: radiative
properties (albedo, emissivity); aerodynamic charac-
teristics (roughness length, zero plane displacement);
thermal properties (heat capacity and conductivity),
and properties affecting themoisture status (hydraulic
characteristics of the soil, type of surface cover). At
sites with a more complex geometry, slope and
exposition have an important impact, in particular
on the components of the radiation balance. These
surface properties are not static, but reflect for instance
forcingby the large-scalewindfield, diurnal changes in
the soil moisture conditions, seasonal changes in the
vegetation, or the presence or not of snow.

The temporal and spatial distributions of the state
variables are governed by the conservation equations
for energy,momentum, andmass (dry air,water vapor,
tract gases).Owing to the generally turbulent nature of
the flow in the vicinity of the Earth’s surface, the terms
representing turbulent transport in these equations are
particularly important and receive much attention in
research of microclimate.

The Lowest Layers of the Atmosphere

The atmospheric layer affected by the local surface
properties is called the planetary boundary layer. It has
a characteristic depth of the order of 1000m and can
be divided into the upper or outer layer (the uppermost
90%) and the inner or surface layer (that is, the lowest
10%), respectively. However, a direct influence of the
surface characteristics on the atmospheric state is
observed only in the lowest part of the surface layer, in
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the immediate vicinity of the roughness elements. If
this layer of influence has any discernible thickness
then it is because of a nonnegligible vertical extension
of the so-called roughness elements (stones, vegeta-
tion, trees, buildings). This layer is therefore usually
called the roughness sublayer, and the upper part of the
surface layer is then referred to as the inertial sublayer.
Note that over a relatively smooth surface such as
short grass or sand the roughness sublayer becomes
very thin, and the inertial sublayer is often associated
with the entire surface layer (Figure 1).

On the basis of these considerations, microclima-
tology can be thought of as the study of the climatic
state of the roughness sublayer or specific entities
therein, whereas ‘micrometeorology’ is more properly
related to the study of the dynamics and thermody-
namics of the surface layer or even the entire planetary
boundary layer.

The Roughness Sublayer

In the roughness sublayer, the flow is affected by the
individual roughness elements, and is hence fully
three-dimensional in nature. The upper boundary of
the roughness sublayer, zn, is the level at which the
horizontal variability vanishes and the flow becomes
horizontally homogeneous. Properly scaled profiles of
either mean flow characteristics or turbulence statis-
tics will then merge to one curve that is characteristic
for the underlying surface. The depth of the roughness
sublayer depends on the height and distribution of the
roughness elements. For most surfaces 2hozno5h
covers the range of estimates, where h is the average
height of roughness elements.

The Canopy Layer

The lowest part of the roughness sublayer is the so-
called canopy layer. It ranges from the surface up to the

average height of roughness elements. In this layer,
form (or pressure) drag and viscous drag on any
individual roughness element are both significant and
lead to a retardation of the flow. In addition, the
material and orientation of the obstacles give rise to
large variation in the energy balance and primarily the
radiation balance. Moreover, within the canopy layer
there is a substantial variability in the source/sink
distribution of sensible heat, water vapor, or trace
gases.

Figure 2 shows the height ranges covered by the
roughness sublayer and its lower part, the canopy
layer, in a dimensionless form. Arrows indicate the
typical situation for a surface covered with crop, trees,
and houses, respectively. We observe that the vertical
range, to which the study of microclimate is confined,
can extend up to several tens of meters or more in the
case of an urban surface (if we use typical values for h).
In the case of a shallow boundary layer (small
boundary layer height zi and large roughness ele-
ments), no inertial sublayer may be present at all.

So far we have dealt only with rough but horizon-
tally homogenous surfaces like an extended cornfield,
a large forest, or a uniform city. In the case of small-
scale variability of surface properties, a so-called
internal boundary layer forms downwind of each
major change in the surface characteristics. This
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internal boundary layer may be thermal (thermal
internal boundary layer) if there is primarily a change
in the thermal properties of the surface, as for example
on a shoreline. Alternatively, if mainly the roughness
changes then the internal boundary layer is called
mechanical. Most common, of course is a combined
thermal and mechanical internal boundary layer. The
concept of a blending height has been introduced to
denote the level, above which turbulent mixing has
levelled out horizontal gradients of climate variables.
In the strictest sense, the study of microclimate is then
confined to the airspace below the blending height.

The Surface Energy Balance

The way the surplus or deficit of radiative energy is
redistributed or compensated for at the Earth’s surface
is described through the energy balance equation,
which in a simplified form reads

NR ¼ H þ LvEþGþ DS ½1�

Here,NR denotes the net radiation,H andLvE are the
turbulent fluxes of sensible and latent heat, respec-
tively, and G is the ground heat flux. If the energy
balance is set up for a volume instead of an infinites-
imally thin surface such as the entire canopy layer, a
storage term DS needs to be included in eqn [1]. This
latter term is the result of discernible divergence of
the other energy fluxes involved and leads to warm-
ing or cooling (drying or moistening) of the volume
considered.

The turbulent fluxes of sensible and latent heat arise
from the fact that the atmospheric flow in the vicinity
of the surface is generally turbulent. They constitute
the major mechanism of nonradiative vertical energy
transport in the lowest portion of the atmosphere,
and are defined as H ¼ rcpw0Y0 and LvE ¼ rLvw0q0,
respectively, where r is the air density, cp the specific
heat at constant pressure,Y the potential temperature,
Lv the latent heat of vaporization, and q the specific
humidity. The primed variables refer to the turbulent
fluctuations with respect to a temporal average (rep-
resented by an overbar).

The net radiation exhibits a strong seasonal and
diurnal cycle; typically, it assumes its maximum
around noon and is slightly negative during the night.
In complex terrain, owing to orographic effects, the
amplitude and phase of the net radiation’s daily cycle
can vary substantially over short distances, as can be
seen from Figure 3. In general, net radiation is
dependent on the latitude (solar radiation), the surface
properties (reflectivity or albedo and emissivity), the
atmospheric conditions (clouds) as well as the topo-
graphy and surface cover of the surroundings (shading
effects, longwave emission).

The partitioning of radiative energy surplus or
deficit into the other terms of eqn [1] again depends on
the properties of the underlying layer (vegetation, bare
soil, rock, water, snow cover). In particular, the
availability of moisture at the surface or in the layer
considered determines which of the latent heat flux or
sensible turbulent heat transport is dominant. This is
most easily seen by considering the ratio between the
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turbulent energy fluxes, the so-called Bowen ratio,
expressed by b ¼ H=LvE.

Microclimate of a Vegetated Surface

Mean Vertical Structure

In the roughness sublayer, the state variables and the
fluxes of energy, momentum, and mass all show a
pronounced vertical variability.At a sufficient distance
from the surface and under neutral conditions the
profile of mean wind speed can be shown to follow a
logarithmic law:

�uuðzÞ
un

¼ 1

k
ln

z� d

z0

� �
½2�

where un is the friction velocity as determined by the
Reynolds stress at the canopy top, k ¼ 0:4 the von
Karman constant, z0 the roughness length, and d the
zero-plane displacement. A stability dependent mod-
ification may be added to eqn [2] for nonneutral
conditions. Both the zeroplane displacement and the
roughness length are characteristic for the type and
status of the underlying surface. They can be deter-
mined from fitting observedwind speed profiles to eqn
[2] or, alternatively, estimated from morphometric
properties of the surface. As a rule of thumb, d ¼ 0:7h
and z0 ¼ 0:1h can be used. Equation [2] is, strictly
speaking, valid only in the inertial sublayer above the
roughness sublayer.Within the roughness sublayer the
mean wind speed departs from the logarithmic
behavior, with a strong retardation at the mean height
of the roughness elements (Figure 4).

This retardation is due to the form and viscous
drags. Under certain simplifying assumptions the
momentum balance equation for the roughness sub-

layer can be solved analytically to yield an exponential
wind profile:

�uuðzÞ ¼ �uuðhÞ exp �a 1� z

h

� �h i
½3�

where a is a parameter dependent on the density and
character of the roughness elements and found to be
in the range of 1 to 4 by fitting observed profiles to
eqn [3].

Roughness sublayer profiles of the other climate
variables are also presented in Figure 4. The vertical
distribution of net radiation depends on the albedo of
the canopy, as well as on the extinction of solar
radiation (during daytime) and the absorption and
emission of thermal radiation at different levels within
the canopy. It is related to the distribution of biomass
as given by the so-called leaf-area index. Owing to the
greater absorptance in the visible than in the near-
infrared range, there is a change in the spectral
composition of the solar radiation flux from the top
to the bottom of a stand.

The profiles of temperature and humidity and
similarly CO2 (not shown) are complex. In forest
stands they typically show an inflection point within
the canopy. These profiles can be explained by the
divergence of the relevant energy and mass fluxes and
by the distribution of the sources and sinks (including
those at ground level), but do also reflect advective
effects. All profiles exhibit strong diurnal variations.

Turbulence statistics such as velocity variances or
turbulent fluxes of sensible heat and momentum
exhibit a strong reduction from the canopy top down
to the groundwhere very small or vanishing values are
observed. The most striking feature of canopy turbu-
lence is probably the fact that it is governed by so-
called coherent structures with spatial scales on the
order of the canopy height. As a consequence, the
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Figure 4 Typical profiles of mean wind speed u, daytime potential temperatureY, specific humidity q, and net radiation NR within and

abovevegetated canopies.The lowerportionof the specific humidity profile is typical formoist surfacesonly.Forwindspeed thedashed line
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turbulent exchange of heat, moisture, or trace gases
within the canopy is often characterized by counter-
gradient transport. This means that the so-called
K-theory, which is based on the assumption of
small dominating eddies and is a well-established
concept for the inertial sublayer, is not a useful
description of turbulent transport in the roughness
sublayer.

Owing to the rough nature of the surface, turbulent
mixing is stronger in the upper part of the roughness
sublayer than in the inertial sublayer. As for the fluxes
of sensible heat and specific humidity (latent heat), this
increase in most pronounced under near-neutral con-
ditions. In this case the turbulent transport just above
the canopy can be up to three times larger than in the
inertial sublayer, whereas formomentum the enhance-
ment is of the order of 10%.

Water and Carbon Budgets

There is an evident feedbackbetween themicroclimate
of a vegetated surface and vegetation itself. On the one
hand, growth and composition of the canopy reflect
the boundary conditions set by the microclimate. On
the other hand, vegetation exerts an active control on
the microclimatic conditions in its immediate sur-
rounding, as seen when considering the water and
carbon budgets. Precipitation, interception, evapo-
transpiration, and surface runoff, as well as infiltra-
tion, drainage, and capillary rise, determine the water
storage in the soil. Transpiration, however, is a
function of the water content and water potential
not only in the soil but also in the roots, the stand and
the leaves, and depends therefore on the particular
state of the plants. Furthermore, photosynthesis and
photorespiration not only are regulated by physiolog-
ical processes at the level of leaves and cells, but also
are controlled by the overall radiation conditions and
CO2 concentration within the canopy.

In the case of agricultural surfaces, human activities
must be considered an important factor determining
the microclimate of the stand. In fact, management
options are explicitly chosen to provide the best
growing and reproductive conditions for each partic-
ular type of crop.

Microclimate of an Urban Surface

Themicroclimate of an urban surface differs from that
over an area covered by vegetation in many respects.
The dominating roughness elements (buildings) are
rigid and typically cover a considerably larger surface
fraction than is the case for, e.g., a forest. Consequent-
ly, the retardation of the flow is evenmore pronounced
than over a vegetated surface. Moreover, considerable

spatial variation in the thermal conditions can be
found down to the level of the smallest entities, like the
walls of an urban street canyon. Further, the scale of an
individual roughness element is large enough for it to
be accessible for detailed experimental investigation.
The best-investigated entity of an urban surface is
therefore the (generic) urban street canyon and its
immediate surroundings.

The best-known characteristic of urban climate is
the so-called urban heat island. This refers to a
pronounced increase in near-surface temperature in a
city as compared with its rural surroundings. Differ-
ences are found to be strongest (several degrees
Celsius) some hours after sunset and are attributed
to, among others, the specific radiation conditions
within block-like structures (street canyons), the
differences in the turbulent diffusion of heat over
urban and rural surfaces, respectively, and (at least in
winter) anthropogenic heat release.

Effects of Building Geometry on Radiation,
Temperature, and Flow Characteristics

The daily cycle for the components of the radiation
balance differs for the various active surfaces within a
street canyon (sunlit and shadowed walls, street
canyon floor). Long-wave incoming radiation is dom-
inated by the emission from nearby walls, while short-
wave (solar) incoming radiation is highly dependent
on the orientation of the surface and may be several
times reflected on the various surfaces. Thereby, all
radiation components can be shown to be related to
the so-called sky-view factor (i.e., the ratio of the sky
‘seen’ at a particular point within the urban canopy to
that potentially available) and to the aspect ratio
(width/height) of the canyon.

Within a street canyon the temperature may be
slightly higher than aloft, owing to the trapping of
solar radiation, but little spatial variation is observed
except very close to the walls.

Profiles of mean wind speed over urban surfaces are
usually described using the same concepts as for
vegetated canopies (eqn [2]). As for the latter, the two
roughness parameters d and z0 are properties of the
inertial sublayer and eqn [2] and, strictly speaking, are
valid only there.

The transition from the inertial to the roughness
sublayer, and the actual profile within the roughness
sublayer, are strongly dependent on the orientation of
the street canyon with respect to the ambient wind
direction and its aspect ratio. For a narrow canyon the
flow is often skimming, and wind speed almost
vanishes within the canyon, leading to a strong
gradient in wind speed around roof level. For wider
canyons the exchange of momentum between the
canyon and the air aloft may be more efficient and the
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corresponding gradient in mean wind speed is some-
what weaker. Generally, the magnitude of wind speed
does not vary strongly with height within the lower
part of the canyon, and wind speeds at the bottom of
the canyon are found to be only a small fraction of
those at roof level (Figure 4).

Coherent structures of the wind field (see above)
are also found in urban environments. If the ambient
flow is roughly perpendicular to the axis of a street
canyon, a vortex can form inside the canyon
(Figure 5), transporting ambient air downward along
the downwind wall and canyon air upward along the
upwind wall of the canyon. The strength and location
of this rotor is dependent on the canyon geometry and
the thermal conditions on the walls. For a street
with significant traffic as a source of air pollutants,
this flow pattern leads to distinctly different pollu-
tant concentrations at the upwind and downwind side
of the street, respectively, if the street is aligned
perpendicular to a dominant wind direction in the
region.

Air Pollutants and Turbulence Structure

Urban environments are characterized typically by a
high density of sources for air pollutants near the
surface (traffic, domestic heating, and industry). Air
pollutant dispersion is the result of turbulent mixing,
and this depends on the turbulence structure in the
vicinity of the roughness elements. The height of these
elements is often less uniform than over vegetated
surfaces, so that the average building height may not
generally serve as a characteristic length scale. Rather,
form drag is exerted on the flow up to the maximum
height of each roughness element. Consequently, the
vertical turbulent transport ofmomentum (as the best-
investigated measure for turbulent transport) is not
approximately constant (with height) as it is over
ideally homogeneous plant canopies or within the
inertial sublayer. Rather, it assumes a maximum
magnitude at a level distinctly higher than the average
buildingheight anddecreases strongly as it approaches
the zeroplane displacement height.

Figure 5 Laser visualization of a vortex in a street canyon for perpendicularly approaching flow. (Reproduced with permission from

Kastner-Klein P (1999) Experimentelle Untersuchung der strömungsmechanischen Transportvorgänge in Strassenschluchten. PhD

thesis, Institut für Hydromechanik, University of Karlsruhe.)
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Below this level the momentum flux essentially
vanishes,while velocity variances (as ameasure for the
intensity of the turbulence field) have been reported to
be strongly dependent on the stability of the flow aloft.
Owing to the relatively large dimensions of roughness
elements in a typical city, this layer of nonconstant
stress can be several tens of meters deep (Figure 2).
Model simulations suggest that an appropriate de-
scription of the divergence of Reynolds stress in the
urban roughness sublayer may have a large impact on
the dispersion of pollutants from low-level sources
in cities.

Owing to its large roughness and the associated
production of mechanical turbulence, the stability of
an urban roughness sublayer is often found to be
nearly neutral during the night and only slightly
unstable during the day. Over an urban surface,
conditions of extreme stability are therefore less likely
to be found than over nearby rural areas.

Nomenclature

cp specific heat at constant pressure
d zero plane displacement
G ground heat flux
h average height of roughness elements
H turbulent (vertical) flux of sensible heat
k von Karman constant
Lv latent heat of vaporization
LvE turbulent (vertical) flux of latent heat
NR net radiation
q specific humidity
�uu mean wind speed
un friction velocity
w vertical component of the wind vector
z height coordinate
zi boundary layer height
zn height of the roughness sublayer
z0 roughness length
b Bowen ratio

DS storage term in the energy balance
Y potential temperature
r air density

See also

Boundary Layers: Overview. Downslope Winds.
Land–Atmosphere Interactions: Overview. Mountain
Meteorology. Valley Winds.
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Introduction

The middle atmosphere refers to regions of the
atmosphere extending from the tropopause (i.e., the
top of the troposphere at B10–16 km) to the homo-
pause (an altitude of B110 km, below which the
atmosphere remains well mixed). It includes two
regions in which mean temperature increases with
altitude owing largely to radiative processes (the
stratosphere, from the tropopause to B50 km, and
the lower thermosphere, above B90 km) and one
region in which mean temperature decreases with
altitude owing in part to dynamical mixing pro-
cesses (the mesosphere, from B50 to 90 km). Despite
these variations of temperature with altitude, the
middle atmosphere has a mean state that is stably
stratified at all altitudes. In contrast to temperature,
mean density decreases approximately exponentially
with increasing altitude throughout the atmosphere.
The combined effects of stable stratification and
decreasing density enable wave motions that
arise in the troposphere to propagate into, and have
very large influences within, the middle atmosphere:
stable stratification supports vertical wave pro-
pagation and decreasing density causes wave ampli-
tudes to increase dramaticallywith increasing altitude.
The wave motions for which gravity and stable
stratification are the dominant influences are called
gravity waves.

Gravity waves play a key role in middle atmosphere
dynamics for several reasons. They are ubiquitous
throughout the atmosphere, arising in response to a
variety of sources in the troposphere and middle
atmosphere. They also dominate the motion spectrum
at small and intermediate spatial and temporal scales
(from a few to hundreds of kilometers and from
minutes to tens of hours). More importantly for the
middle atmosphere, they propagate readily over large
distances and depths, account for substantial fluxes of
energy and momentum, and experience filtering and
dissipation due to interactions with the environments
through which they propagate. The flux divergences
arising from wave dissipation, in particular, result in
substantial forcing of the large-scale circulation and
the thermal and constituent structures of the middle
atmosphere.

The goal here is to provide a brief survey of the
theory describing gravity wave propagation and
effects, the significant sources of gravity waves in the
lower and middle atmosphere, the factors influencing
their evolution with increasing altitude, and their
various roles in middle atmosphere dynamics.

Theory

Gravity waves are a subset of more general atmos-
pheric motions that are described by equations
expressing conservation of momentum, mass, and
energy for a fluid system. These equations, known as
the Navier–Stokes equations, are nonlinear, time-
dependent, dissipative, and have no general analytic
solutions. We can gain significant insights into the
structure and behavior of gravity waves, however, by
seeking approximate solutions for linear waves in
idealized environments.
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Perturbation Equations

Making approximations that eliminate both acoustic
wave and planetarywave solutions, the linear, inviscid
equations describing gravity wave perturbations in a
hydrostatic basic state with mean horizontal velocity
ð�uu; �vvÞ may be written as eqns [1] to [5].

du0

dt
þw0 q�uu

qz
� fv0 þ 1

�rr
qp0

qx
¼ 0 ½1�

dv0

dt
þw0 q�vv

qz
þ fu0 þ 1

�rr
qp0

qy
¼ 0 ½2�

dw0

dt
þ 1

�rr
qp0

qz
� g

y0

�yy
¼ 0 ½3�

dy0

dt
þw0 q�yy

qz
¼ 0 ½4�

qu0

qx
þ qv0

qy
þ 1

�rr
qð�rrw0Þ
qz

¼ 0 ½5�

In these equations ðu0; v0; w0Þ, p0, and y0 are the
perturbation zonal, meridional, and vertical veloci-
ties, pressure, and potential temperature; �rr and �yy are
mean density and potential temperature; f ¼ 2O sinf
is the Coriolis parameter, with O the rotational
frequency of the Earth and f the latitude; and d=dt ¼
q=qt þ �uuq=qxþ �vvq=qy is an advective derivative.

Potential temperature is a conserved quantity for
adiabatic (energy conserving) motions and is equal to
the temperature of an air parcel restored adiabatically
to a reference surface pressure. The static stability of
themean state (ameasure of the degree of stratification
of the atmosphere) may be expressed in terms of
temperature or potential temperature as eqn [6],
where g is gravitational acceleration, T is tempera-
ture, and Cp is the specific heat of air at constant
pressure.

N2 ¼ g
�yy
q�yy
qz

¼ g
�TT

g

Cp
þ q�TT

qz

� �
½6�

The quantity N is called the buoyancy frequency (see
Buoyancy and Buoyancy Waves: Optical Observa-
tions; Theory) and represents the natural frequency of
oscillation for a parcel displaced vertically from its
equilibrium altitude. We see from eqn [6] that N is
larger (smaller) where temperature increases (decreas-
es) with altitude. Thus the stratosphere and lower
thermosphere are more stratified than (and have
higher static stability than) the troposphere and
mesosphere.

To a good approximation the atmospheric density
varies as shown in eqn [7], whereH ¼ R�TT=g, and R is

the gas constant.

�rrðzÞ ¼ r0e
�z=H ½7�

For typical temperatures in the middle atmosphere,
H � 7 km, so that mean density decreases by B105

from the tropopause to the mesopause (B90km).
In order to provide the simplest insights into gravity

wave structure, we assume for now that the mean
shear terms in eqns [1] and [2] may be neglected and
takeN2 to be constant, and seek solutions of the form
of eqn [8], with similar forms for other perturbation
quantities.

u0 ¼ u0e
z=2Heiðkxþlyþmz�otÞ ½8�

These perturbations comprise solutions with wave-
number components ðk; l; mÞ and a ground-based
frequency o. The exponential growth term in the
perturbations results from the mean density decrease
with altitude and implies that even small-amplitude
wavesmay achieve appreciable amplitudes and effects
at greater altitudes. Substitution into eqns [1] to
[5] yields a set of five algebraic equations for
ðu0; v0; w0; y0; p0Þ that can be combined to form a
dispersion relation (eqn [9]).

m2 ¼ ðk2 þ l2ÞðN2 � ôo2Þ
ôo2 � f 2

� 1

4H2
½9�

Here ôo ¼ o� k�uu� l�vv is the intrinsic frequency, or
frequency of the gravity wave relative to the mean
motion ð�uu; �vvÞ. The dispersion relation relates the wave
intrinsic frequency to the wave spatial structure
ðk; l; mÞ, mean atmospheric stability N, and density
scale height H.

For illustration, we further assume that gravity
wave propagation is in the zonal direction such
that l ¼ 0 and that the vertical wavelength, lz ¼
2p=m � 4pH, such that the last term in eqn [9] is
negligible. Then the polarization relations relating the
various perturbation quantities take the form of eqns
[9] to [13].

v0 ¼ � ifu0

ôo
½10�

w0 ¼ �ku0

m
½11�

y0

�yy
¼ � iN2w0

ôog
¼ ikN2u0

môog
½12�

p0

�rr
¼ �ðN2 � ôo2Þw0

môo
¼ kðN2 � ôo2Þu0

m2ôo
½13�

The dispersion relation, eqn [9], reveals that gravity
waves propagate vertically (with real m) only for
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foôooN. For ôo > N, or more generally for m2o0
owing to the last term in eqn [9], m is imaginary and
gravity wave motions decay exponentially with alti-
tude. Within the range where vertical propagation
occurs, however, a wide range of wave motions are
possible. For gravity waves with ôo � f , horizontal
motions are ellipses with amajor tominor axis ratio of
ôo=f , vertical motions are suppressed, m2 � k2 þ l2

(i.e., horizontal wavelengths are much larger than
vertical wavelengths), pressure perturbations are
negligible, and the dispersion relation takes the
approximate form of eqn [14], where kh ¼
ðk2 þ l2Þ1=2 is the horizontal wavenumber in the
direction of wave propagation.

m2 ¼ k2hN
2

ôo2 � f 2
or ôo2 ¼ k2hN

2

m2
þ f 2 ½14�

At the opposite extreme,with ôo � N, either largekh
(small horizontal wavelength) or mean atmospheric
density variations (the 1=4H2 term) can result in
gravity waves having largely vertical motions, and the
appropriate dispersion relation is of the form of eqn
[15].

m2 ¼ k2hN
2

ôo2
� k2h �

1

4H2
½15�

For gravity waves having intermediate intrinsic
frequencies, f 2 � ôo2 � N2 (describing a large frac-
tion of relevant gravity waves), transverse motions are
negligible ðv0 � 0Þ, motions are largely in a vertical
plane, vertical motions are larger, and gravity waves
easily propagate vertically. In this case, the dispersion
relation is especially simple and insightful (eqn [16]).

m2 ¼ k2hN
2

ôo2
½16�

This yields an intrinsic frequency of the form of eqn
[17], where j is now the angle of the gravity wave
phase surfaces to the horizontal.

ôo ¼ � khN

m
¼ N sin j ½17�

Writing the component of the mean wind ð�uu; �vvÞ in
the direction of gravity wave propagation as �uuh, the
ground-based and intrinsic frequencies of this wave
may be written o ¼ khc and ôo ¼ khðc� �uuhÞ ¼ khci,
respectively (where ci is the intrinsic phase speed), and
eqn [16] yields eqn [18].

m ¼ � N

c� �uuh
¼ �N

ci
or lz ¼ 2pci

N
½18�

Thus the vertical wavelength is simply related to the
static stability,N, and the intrinsic phase speed of the

motion. In a general environment with ð�uu; �vvÞ varying
with altitude, a gravity wave having constant phase
speed cwith altitude (in the linear approximation)will
experience a vertical wavelength that varies linearly
with intrinsic phase speed. A level at which c ¼ �uuh, for
example, is a level at which both ci and lz ! 0. Such a
level is called a critical level because the vertical group
velocity (i.e., the velocity with which the gravity wave
transports energy and momentum), is given by eqn
[19] and the level is an effective barrier to vertical
propagation.

cgz ¼ qôo
qm

¼ � ôo
m

! 0 ½19�

Note here that the vertical group velocity, cgz, and the
vertical phase velocity, cpz ¼ ôo=m, are oppositely
directed. This is because a gravity wave propagating
upward, with upward or positive cgz, has downward
phase propagation.

Another barrier to vertical propagation is the
turning level. This occurs where an increasing ci (or
ôo ¼ khciÞ causes m2 ! 0 in eqn [15], resulting in
vertical evanescence (with ôo > N) and wave reflec-
tion. Thus, there are a number of ways in which
variations in mean wind or stability profiles can
remove components from, or filter, the spectrum of
gravity waves with altitude.

Critical levels and density decreases with altitude
are important for other reasons as well. We see from
eqn [6] that when qy=qzo0 the atmosphere is static-
ally unstable, with heavier air overlying lighter air, and
that instability should result.We also see fromeqn [12]
that this condition arises when the inequalities [20]
apply, where u0

h is the gravity wave horizontal pertur-
bation velocity in the direction of wave propagation.

qy0

qz
o� q�yy

qz
or u0

h > ci ½20�

But with u0
h � ez=2H with altitude and ci ! 0 at a

critical level, instability is essentially assured. For
gravity waves with ôo � f , the most common instabil-
ity is the Kelvin–Helmholtz instability. At higher
intrinsic frequencies, instabilities are more often
convective in nature. The consequences in each case
are limits on wave amplitudes, turbulence, and dissi-
pation of the gravity waves, and a divergence of the
associated fluxes of energy and momentum. Indeed,
‘saturation’ of gravity waves via such instability
processes underlies the major gravity wave effects in
the middle atmosphere.

Mean Equations

The role of gravity waves in forcing the mean
circulation and thermal structure of the middle
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atmosphere can be understood by examining the
zonally averaged momentum and continuity equa-
tions. Assuming for simplicity a steadymean flowwith
negligible vertical shear, the appropriate equations are
eqn [21] and eqn [22] with a mean meridional
circulation, ð�vvn; �wwnÞ, satisfying eqn [23].

�f�vvn ¼ � 1

�rr
q
qz

Fx ¼ DFx ½21�

f �uuþ 1

�rr
q�pp
qy

¼ � 1

�rr
q
qz

Fy ¼ DFy ½22�

q�vvn

qy
þ 1

�rr
qð�rr�wwnÞ

qz
¼ 0 ½23�

Here the asterisk denotes the transformed Eulerian
mean circulation, which expresses the net effects of
wave forcing, and ðFx; FyÞ are given by eqn [24] for a
gravity wave having arbitrary propagation direction
and intrinsic frequency ôo.

ðFx; FyÞ ¼ ðu0w0; v0w0Þð1� f 2=ôo2Þ ½24�
For a gravity wave propagating upward and eastward
relative to the mean flow (i.e., cgz > 0, cpzo0, and
ci > 0), we see from eqns [19] and [11] that mo0
and that u0w0 > 0. The terms ðFx; FyÞ represent
the mean vertical fluxes of horizontal momentum
by gravity waves of intrinsic frequency ôo in the zonal
and meridional directions. Momentum fluxes are
nondivergent for conservative wave motions, but
are generally divergent when wave dissipation
occurs. In the absence ofwave dissipation, the solution
to eqns [21] and [23] is a geostrophically balanced
zonal mean flow with �uu ¼ �ð1=�rrf Þq�pp=qy and
ð�vvn; �wwnÞ ¼ 0. Momentum flux divergences arising
from wave saturation or filtering processes, on the
other hand, lead to significant departures from a
geostrophic mean flow and to a wave-driven residual
circulation and thermal structure to be discussed
further below.

Gravity Wave Sources

Twomajor gravitywave sources in the troposphere are
believed to be topography and convection. Airflow
over mountains leads to vertical displacements dic-
tated by the terrain height and horizontal scale at zero
phase speed relative to the ground. For horizontal
scales of B10 km or larger, the vertical wavelength is
determined by eqn [16] with c ¼ 0: lz ¼ 2p�uu=N.
Convection excites gravity waves by vertical motions
within the cloud, through buoyancy driven by latent
heating, or by airflow over the cloud in a sheared
environment. Additionally, cloud complexes may

act as sources on much larger spatial scales. Thus
convection excites gravity waves having a wide range
of scales and phase speeds.

At greater altitudes, the jet stream excites gravity
waves through a process known as geostrophic
adjustment, in which an unbalanced flow achieves a
new geostrophically balanced state and conserves
energy via emission of gravity waves. Unstable shear
flows likewise excite gravity waves through a process
called envelope radiation, inwhich gravitywave scales
are imposed by the event scale rather than the detailed
dynamics of shear instability. Additional sources
become important as gravity waves achieve larger
amplitudes with increasing altitude. Interactions
among gravity waves, or of gravity waves with the
mean flow, excite gravitywaves having awide range of
spatial scales and intrinsic frequencies. The conse-
quences of these interactions are discussed further
below.

Evolution, Interactions, and Instability

Nearmajor sources in the troposphere the spectrum of
gravity waves is determined largely by source charac-
teristics. But as altitude increases, the spectrum is
shaped increasingly by other factors. Variations in
mean wind cause intrinsic frequencies, ci ¼ ðc� �uuhÞ,
and corresponding vertical wavelengths, lz � ci, to
vary dramatically. An illustration of gravity wave
propagation and filtering is shown in Figure 1 for a
mountain wave (with c ¼ 0) and two convective
waves (with c > 0 on the right and co0 on the left).
The wind profile is representative of summer mean
winds, with eastward winds at lower altitudes and
westward winds at greater altitudes. The positions
of the gravity waves are indicative of their phase
speeds relative to the mean wind. For the gravity wave
having c > �uu on the right, increasing ci above the
eastward wind maximum at lower altitudes increases
lz, accelerates vertical propagation, and enables
the wave to penetrate to very high altitudes. Those
gravity waves with c ¼ 0 and co0, however, encoun-
ter critical levels where c ¼ �uu and are removed
from the spectrum at these altitudes. Hence, gravity
wave propagation in mean wind shear redistributes
wave energy with vertical wavenumber and removes
components of the spectrum that encounter critical
levels.

Critical levels and decreasing mean density also
contribute a tendency towardwave instability: critical
levels decrease the amplitudes above which instabil-
ities are vigorous (see eqn [20]), while decreasing
density results in increasing wave amplitudes with
altitude. Gravity wave instability can manifest in
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many ways. For our discussion, it is sufficient to note
the two dominant classes: local instabilities of the
wave field leading directly to turbulence for ampli-
tudes described approximately by eqn [20], and
nonlinear interactions among gravity waves of differ-
ent wavenumbers and intrinsic frequencies. The
former tend to limit wave amplitudes contributing to
local instability; the latter are operative at all wave
amplitudes, but are more vigorous and play a larger
role in gravity wave spectral evolution at larger
amplitudes.

Various theories describe the influences of gravity
wave instability processes on spectral amplitude and
shape. These theories, termed saturation theories,
yield predictions in reasonable agreement with ob-
served spectra and insights into spectral evolutionwith
increasing altitude. An illustration of the evolution of
the gravity wave vertical wavenumber spectrum of
horizontal winds from the troposphere to the meso-
sphere is shown in Figure 2. Gravity waves having, or
evolving toward, small vertical wavelengths (largem;
i,e., to the right of the spectral peak for each altitude
range) have amplitudes constrained by instability
processes and are saturated in the sense that ampli-

tudes at thesem will not grow further with increasing
altitude. Gravity waves having large vertical wave-
lengths (smallm; i.e., to the left of the spectral peak for
each altitude range) have amplitudes well below the
saturated values implied by eqn [20], experience only
weak dissipation, and continue to grow approximate-
ly exponentially with increasing altitude. The result
is an integrated gravity wave energy (per unit mass)
that continues to grow with altitude, but at a rate
much less than would occur without wave saturation
at large m.

With an empirical spectral form of horizontal
velocity variance of EuðmÞ � N2m=6ð1þm4Þ, the
growth of wave energywith altitude isE � ez=HE , with
HE � 2:3H. This corresponds to an increase in wave
energy (per unit mass) from the tropopause to the
mesopause of B100 and an increase in the character-
istic vertical scale (a decrease of the peak vertical
wavenumber) of B10. Characteristic vertical wave-
lengths are typically B1–3 km in the lower strato-
sphere and B10–30 km near the mesopause, with a
similar increase in the magnitude of horizontal velo-
cities (i.e., from B3m s� 1 at lower altitudes to
30m s�1 near the mesopause).

u (z)

uc < 

uc > 

c > 0 c < 0 c = 0

Figure1 Schematic of gravitywave propagation and filtering in a

summerhemispheremeanwindprofile forwavephasespeeds that

are zero, positive, and negative. Waves with zero and negative

phase speeds encounter critical levels where c ¼ �uu and fail to

propagate further. Waves with large positive phase speeds may

penetrate to very high altitudes.

log Eu (m)

Mesosphere

Stratosphere

Troposphere

log m

Eu (m) ~ 
N
m

2

36

Figure 2 Illustration of the evolution of the vertical wavenumber

spectrum of gravity wave horizontal perturbation velocities with

altitude. At large m, wave amplitudes and spectral shape are

dictated by saturation processes largely independent of altitude. At

small m, wave amplitudes are unconstrained and grow approxi-

mately exponentially with altitude.
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Different insights emerge if we consider gravity
wave kinetic energy per unit volume, Ek � �rru02

h=2 �
e�z=Hþz=HE � e�z=1:77H. Thus, saturation at large m
results in a decrease of gravity wave energy per unit
volume between the troposphere and mesosphere of
B103, implying that the largemajority of gravitywave
energy does not propagate to high altitudes. Instead a
significant fraction contributes to turbulence genera-
tion, mixing, and turbulent transport throughout the
middle atmosphere.

Middle Atmosphere Effects

Without wave forcing of the mean circulation of the
middle atmosphere, the mean motion at middle and
high latitudes would be in geostrophic balance, means
winds would increase continuously with altitude,
there would be no wave-driven residual circulation,
i.e. ð�vvn; �wwnÞ ¼ 0, and the thermal structure would be
in radiative equilibrium. The force balance in this case
is shown for the summer mesosphere in the upper
panel of Figure 3; corresponding zonal mean winds in
summer and winter hemispheres are denoted �uurad and
illustrated in the upper panels of Figure 4. In reality,
however, gravity wave dissipation and momentum

flux divergence in the mesosphere lead to body
forcings that decelerate the zonal mean winds, reverse
the vertical shears, and induce a wave-driven residual
circulation with rising motions in the summer hemi-
sphere, subsidence in the winter hemisphere, and
strong meridional flow from the summer to the winter
hemisphere near the mesopause. The force balance in
the summer hemisphere case is illustrated in the lower
part ofFigure 3. Rising anddescendingmotions lead to
adiabatic cooling and heating of the summer and
winter mesosphere, causing a reversal of the meridio-
nal gradient of temperature imposed by solar radiation
at lower altitudes. A similar, but weaker, residual
circulation occurs at lower altitudes, to which plan-
etary waves also make a significant contribution.
Gravity wave contributions are due primarily to
mountain waves in winter, with both mountain and
nonstationary waves contributing in summer. The
impact of wave forcing, denoted DF, effects on the
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u rad
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Geostrophic balance

f uh

uh = (u, v *)

DF

Balanced  flow with wave drag
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dp
dz
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ρ
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1−
ρ

Figure 3 Force balance for a steady geostrophic mean wind

during Northern Hemisphere summer in the absence of wave drag

(A) and for a steady mean wind experiencing wave drag (B). The

geostrophic flow in (A) is strictly zonal .However,wavedragcauses

themeanwind toweaken and rotate in the direction of the pressure

gradient force, enabling the zonal wave drag to be counteracted by

theCoriolis force acting on thewave-driven residual circulation, �vvn.
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Figure 4 Schematic of summer and winter zonal mean velocity

profiles (A) and the wave-driven residual circulation arising in
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forcing (dashed), the zonal mean winds with wave forcing (solid),

and the directions of wave drag, DF, accompanying wave dissipa-
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the corresponding residual circulation, with cooling (warming) near

the summer (winter)mesopausedue to risingmotion (subsidence).
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the zonal mean winds.
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meanwind and temperature profiles, and the nature of
the residual circulation at lower and higher altitudes
are depicted in Figure 4. In the lower panel, E and W
denote eastward and westward winds, respectively.

At equatorial latitudes, geostrophic motions do not
occur, and gravity wave filtering, dissipation, and
momentum flux divergence contribute instead to
forcing of two equatorial oscillations of the zonal
mean wind at different altitudes. For both the quasi-
biennial oscillation (QBO) and the semiannual oscil-
lation (SAO), gravity waves contribute to the forcing
of each phase of the oscillation due to filtering and
momentum deposition much as discussed above. In
each case, gravity wave filtering in the lower phase of
the oscillation imposes anisotropy on the wave
spectrum that contributes to forcing of the opposite
phase of the oscillation at greater altitudes. (For
further discussion on the QBO and SAO see Middle
Atmosphere: Quasi-Biennial Oscillation; Semiannual
Oscillation.)

Turbulence arising from gravity wave dissipation
contributes both heating and transport through direct
energy dissipation and mixing of local gradients of
heat, momentum, and constituents. Turbulent mixing
drives the thermal structure toward an adiabatic lapse
rate ðq�TT=qz ¼ �g=CpÞ, thus contributing to the mean
thermal structure of the mesosphere. Because of the
nature of gravitywave dissipation, however,mixing of
heat and constituents is believed to be much less
efficient than mixing of momentum. Transport
through turbulent mixing is nevertheless thought to
be important in caseswhere gravitywave dissipation is
strongly modulated by tidal winds. Corresponding
modulation of gravity wave momentum fluxes can
likewise have significant impacts on tidal and plane-
tary wave structures. Hence, the tendency for gravity

wave energy and momentum fluxes to be modulated
by mean and large-scale wind fields enables gravity
waves to play a central role in a wide variety of middle
atmosphere dynamics.

See also

Buoyancy and Buoyancy Waves: Optical Observa-
tions; Theory. Clear Air Turbulence. Dynamic Meteo-
rology: Overview. General Circulation: Over-
view. Kelvin–Helmholtz Instability. Mesosphere:
Polar Summer Mesopause. Middle Atmosphere:
Gravity Waves; Quasi-Biennial Oscillation; Semi-
annual Oscillation. Static Stability. Turbulence and
Mixing. Turbulent Diffusion. Wave Mean-Flow
Interaction.
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Introduction

A planetary wave is a large-scale perturbation of the
atmospheric dynamical structure that extends
coherently around a full longitude circle. The
perturbations have wavelike form in the longitudi-
nal and vertical directions and often also in the
latitudinal direction. These large-scale waves are a
dominant part of the spatial and temporal variability

in the stratosphere, and also make contributions at
higher altitudes in the mesosphere. Most important
are quasi-stationary mid-latitude Rossby waves,
which propagate upward from the troposphere
and are ubiquitous but quite variable in the middle
atmosphere during winter. They are important
because they have significant influence on the
wind speeds, temperature, distribution of ozone, and
other characteristics of the middle atmosphere
structure. Other planetary waves that are also impor-
tant are global traveling modes, known as normal
modes, and a class of waves confined to the equatorial
region.
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Quasi-Stationary Mid-Latitude Rossby
Waves

Where they occur, planetary waves are evident in all
dynamical fields: temperature, wind, pressure and
density.Observations ofwave structure are commonly
viewed using the geopotential height, which is the
height of a given pressure level. Figure 1 shows the
geopotential height for a pressure level in the middle
stratosphere of the Northern Hemisphere on a partic-
ular day (20 January 1979) derived from satellite data.
The North Pole is at the center of the plot and the
Equator is around the outer edge. The Greenwich
Meridian is the horizontal line extending right from
the pole. Contours indicate the height in kilometers of
the 10 hPa pressure surface, which has an average
height of about 30–32 km. The variations are smooth
compared with the much more abrupt variability seen
near the Earth’s surface on a typical weather map.

The planetary waves in this view are the deviations
from symmetry around a longitude circle. These can
readily be isolated by performing Fourier analysis
in longitude at a fixed latitude and pressure level.
Figure 2 illustrates the height variation and the results
of Fourier analysis at 601N. The wave field is
dominated by zonal wavenumber 1 but wavenumber
2 also has significant amplitude. On a polar plot such
as Figure 1, a wavenumber 1 pattern tends to be
evident as a displacement of the lowest heights off of
the pole and sometimes, as in the case shown, a distinct

region of high heights. Wavenumber 2 is evident as an
elongation of the contours of low height.

From geostrophic balance, air motion on a pressure
surface tends to follow lines of constant geopotential
height, with low values to the left in the Northern
Hemisphere (counterclockwise flow around the low).
One can see that following such a trajectory will move
an air parcel alternately closer to the pole and farther
from the pole. The time taken to complete a circuit of
the pole depends on the latitude andwind speed, but is
normally several days to more than a week. The air
parcel will also move vertically as it follows the
circumpolar path, although the vertical excursions are
much smaller than those in latitude, being typically on
the order of 1 km.

Figure 3 shows the amplitude of wavenumber 1 and
2 for the case illustrated in Figure 1. Values at 10 hPa
pressurecorrespond to the variations showninFigure 2.
Typical mid-latitude Rossby waves vary in amplitude
daily, but the longitude of the maximum geo-
potential often stays in the same quadrant. Several of
the features evident in Figure 3 are typical of wave
amplitudes in the winter hemisphere. The amplitudes
are largest in middle to high latitudes near 601;
maximum amplitudes in the vertical are reached in
the stratosphere, usually between 10 hPa and 0.3 hPa,
and wavenumber 1 has larger amplitude than wave-
number 2. This case is atypical in that thewavenumber
1 amplitude is particularly large;more commonvalues
are about half of that seen on this particular day.
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Figure 1 Polar stereographic projection (the North Pole is at the

center and the Equator is around the outer edge) of the geopoten-

tial height for the Northern Hemisphere at 10 hPa on 20 January

1979. Contours indicate the height in kilometers. GM, Greenwich

meridian; ID, international dateline.
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Figure 4 shows the variation ofwavenumber 1 and 2
amplitudes during two NH winters: 1978–79 and
1994–95. Wave amplitudes vary on a time scale of a
few days. There are also large differences between
different winters. Wavenumber 1 normally has higher
amplitude than wavenumber 2, but exceptions occur,
for example in late February 1979. The amplitudes are
not symmetric about winter solstice but tend to be
larger in January–February.

Some of the Rossby waves generated in the tropo-
sphere by thermal contrasts between land and ocean
surfaces and by flow over mountains propagate
vertically and are the source of the mid-latitude waves
in the middle atmosphere. A substantial part of the
variability seen in the wave amplitude (Figure 4) is a
result of the variability of the large-scale weather
patterns in the troposphere. With a few simplifica-
tions, it is straightforward to derive an equation that
predicts which waves will propagate into the middle
atmosphere. First, we split all fields into their zonal
mean (longitudinal average) and perturbation com-
ponents and assume conditions of linearity, where the
perturbation fields are significantly smaller than the
zonal mean fields. The wave equation is derived from
the perturbation form of the quasi-geostrophic poten-
tial vorticity equation on a b-plane. In the b-plane
approximation, the variation of Coriolis torque
with latitude is assumed to be constant: f ðyÞ ¼
f ðy0Þ þ bðy� y0Þ, where f is the Coriolis torque
and y is latitude. The quasi-geostrophic potential

vorticity equation is then given by eqn [1],where q, the
quasi-geostrophic potential vorticity, is defined as in
eqn [2].

q
qt

þ �uu
q
qx

� �
q0 þ v0

q�qq
qy

¼ D ½1�

q ¼ f þ q
qy

1

f

qf
qy

þ 1

f

q2f
qx2

þ f

N2

q
qz

r
qf
qz

½2�

The overbars in eqn [1] indicate zonal averages and the
primes indicate deviations from the zonal average.The
planetary vorticity f has no pertubation component
and is not included in q0. �uu is zonal wind; v0 is
perturbation meridional wind; D represents damping
due to diabatic and frictional processes; f is geopo-
tential;N is the buoyancy frequency; r is the density; x
is longitude; and z is altitude.

To solve eqn [1],we assume awave form in the zonal
dimension and in time, with wavenumber k and
frequencyo or, equivalently, phase speed c, where c ¼
o=k (eqn [3]).

f0 ¼ ckðy; zÞ exp ðikx� iot þ z=2HÞ ½3�

Note that there is also an altitude factor expðz=2HÞ.
This altitude factor takes into account the fact that a
wave that conserves energywill increases in amplitude
with altitude because of the decrease in density
(proportional to e�z=H).
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Figure 3 The amplitude of wavenumbers 1 and 2 as a function of latitude and pressure for 20 January 1979.
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Substitution of eqn [2] into eqn [1] gives eqn [4],
where Q is given by eqn [5].

q
qy

qck

qy

� �
þ f 2

N2

q2ck

qz2
þQck ¼ D ½4�

Q ¼ �qqy
ð�uu� cÞ � k2 � f 2

4H2N2
½5�

H is the atmospheric scale height and N is the
buoyancy frequency. Equation [4] is a two-dimen-
sional wave equation when Q is positive, i.e., the
solutions are sinusoidal in latitude and altitude. Note
that the vertical and meridional scales are vastly
different (N�f ; the ratio f 2=N2 is typically 10�4).
The strength of the wave restoring force is determined
by themagnitude ofQ. For a given zonal wavenumber
k, the variations inQ are dominated by themeridional
gradient of zonal mean potential vorticity �qqy and the
average wind speed �uu. The strongest effect on the
potential vorticity gradient is the gradient in planetary

vorticity with latitude, �qqy ¼ qf=qyþ � � �, but its mag-
nitude and sign can be significantly modulated by
shear in the mean zonal wind. Outside of the tropics,
�qqy tends to be positive except for localized areas near
the strongest winds.

The term Q can tell us quite a bit about the wave
properties. Equation [4] has the form of a wave
equation only when Q is positive. Since the back-
ground potential vorticity gradient �qqy is usually
positive, it is readily seen that the condition for
propagation will not be met if the wind speed is less
than the wave phase speed (or, for stationary waves
forced by fixed features such as mountains, if the
wind speed is less than zero). The locus of pointswhere
ð�uu� cÞ goes to zero is known as the critical line.
Normally, stratospheric winds are positive during
winter and negative during summer, explaining the
absence of the stationary planetary Rossby waves in
the summermiddle atmosphere. Also note that there is
a negative contribution that involves the wavenumber
k2. For waves with larger wavenumbers, this can
become large enough thatQ is negative. This explains
why most Rossby waves observed in the middle
atmosphere have low wavenumbers (eqn [6]).

Q > 0 ) k2o �qqy
ð�uu� cÞ �

f 2

4H2N2
½6�

Q is known as the refractive index squared, analogous
to the geometrical optics property of the same name.
Waves will be refracted in the latitude–altitude plane
if there are gradients in Q. For example, for the case
presented in Figure 3, Q increases toward low
latitudes and has no negative regions. Figure 5
shows contours of Q for zonal wavenumber 1 and,
superimposed on this, arrows indicating the direction
of propagation of the wave energy in the NH strato-
sphere. There is strong upward propagation in
mid-latitudes together with refraction toward the
Equator.

There is another way to look at these planetary
waves that can shed light on how they interact with the
background wind. Take the perturbation potential
vorticity eqn [1], multiply it by the perturbation
potential vorticity q0, and average zonally. This gives a
conservation equation for thewave quantityq02,which
is the quasi-geostrophic form of wave action (eqn [7]).

1

2

qq02

qt
þ v0q0

q�qq
qy

¼ q0D0 ½7�

It can be shown that the net poleward flux of potential
vorticity, v0q0, is proportional to the Eliassen-Palm
(EP) flux divergence. The EP flux divergence is a
quantity that is derived from the structure of the wave
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and is a precise measure of how the wave will force
changes in the background atmosphere. A negative
value of v0q0 or, equivalently of EP flux divergence,
indicates that the wave is causing the background
zonal flow to decrease. In other words, the extent to
which a wave can change the background average
wind speed or temperature depends on v0q0; if it is zero,
the wave may be able to propagate but will have no
impact on the background atmosphere. From eqn [7],
it is evident that v0q0 will be nonzero only if the wave is
not steady (first term nonzero) or is dissipating (right-
hand side of equation nonzero).

While eqn [7] is simple, its applications are impor-
tant and the phenomena it describes have a profound
influence on the middle atmosphere circulation. In
essence, a planetary wave will not influence the
background temperature or winds and also will not
cause any net transport of mass unless the wave is
transient or is dissipating. In reality, planetary wave
transience always occurs and dissipation can be
significant, especially in the upper stratosphere and
mesosphere. Planetary waves tend to reduce the wind
speed and the strength of the vortex, to warm up the
high-latitude stratosphere, and to induce transport of
mass toward the winter pole and downward in the
high-latitude stratosphere.

The largest amplitudes of planetary waves occur in
the mid-latitude upper stratosphere. At higher alti-
tudes, dissipation becomes strong enough that the
amplitudes begin to decrease with height. There are

several processes that can dissipate the waves. The
cooling by emission of heat (infrared radiation) is
approximately proportional to temperature; warmer
areas cool faster, thereby reducing the amplitude of the
wave. Another important dissipation mechanism is
interaction with small-scale waves. Propagation and
dissipation of these small-scale waves will vary
depending on the winds and temperatures of the
planetary waves, and interactions will in turn affect
the planetary wave structure. Small-scale waves and
the turbulence produced by them become much more
significant in the mesosphere (460 km) and attenuate
planetary waves that propagate to these levels.

Wave amplitudes also decrease toward low latitudes
even though the waves often propagate toward the
equator. The waves cannot propagate where the
refractive index squared is less than zero. As waves
approach the low latitudes, they can undergo signif-
icant distortions as the normal restoring force associ-
ated with the polar gradient in potential vorticity
�qqy > 0 begins to weaken. Since the wave itself can
affect the potential vorticity, local regions where
qy � 0 will appear; air motion in this area no longer
experiences a restoring force but instead is unstable to
perturbations in the north–south direction. Under
these circumstances, there is a rapid and irreversible
deformation of the potential vorticity contours on a
pressure surface and the wave is said to ‘break’ by
analogy with the breaking of water waves on a beach.
Figure 6 shows the potential vorticity field corre-
sponding to Figure 1. There is evidence of a broad
region of weak or reversed latitudinal gradients of
potential vorticity in the vicinity of the international
dateline and of deformation of the contour lines as
tongues of high potential vorticity air are drawn out
into the low potential vorticity region. This wrapping
of contours is indicative of Rossby wave breaking. It
leads to dissipation of planetary waves, primarily in
low latitudes, and to horizontal mixing.

Occasionally, strong amplification occurs and the
wave has a sudden strong impact on the background
wind and temperature. Extreme events can alter the
temperature of the polar stratosphere by as much as
40K in a week. The strongest of these events are
known as sudden stratospheric warmings, and are
among the most dramatic examples in the atmosphere
of the interaction of waves with the mean fields. In
addition to increasing the temperature, the warming
events also break down the polar vortex, redistribute
ozone andother chemicals, and reverse the directionof
the stratospheric jet in high latitudes.

Although the sudden warming events are rare, the
processes that lead to them occur with smaller
amplitude throughout a normal winter. Mid-latitude
planetary waves in general act to warm the polar
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regions and to slow down the speed of the strato-
spheric jet. Planetary wave amplitudes tend to be
larger in the Northern Hemisphere than in the
Southern Hemisphere because of the different distri-
butions of continents and orography. As a result,
Southern Hemisphere stratospheric polar tempera-
tures are cooler and the vortex is stronger. Major
stratospheric warmings have not been observed in the
Southern Hemisphere.

Normal Modes

Another class of waves that can be significant in the
middle atmosphere is that of Rossby normal modes,
also known as free modes. These are waves that
correspond to a natural mode of variability of the
Earth’s atmosphere. Based on the size and rotation rate
of the Earth and the depth of the atmosphere, there are
preferred responses. From eqn [5], it is clear that the
restoring force Q depends on the phase speed of the
wave c. In an undamped isothermal atmosphere
(D ¼ 0; T ¼ T0) with no background wind (�uu ¼ 0
and �qqy ¼ f ), there can exist global solutions to eqn [4]
that are finite even without forcing. These are known
as Lamb waves, and can be considered to be reso-

nances of the global atmosphere. The vertical struc-
ture of each mode can be determined from eqn [4]
when damping is omitted and nowaves are introduced
by the boundary conditions. While these theoretical
modes are the responses that would occur in an
isothermal atmosphere without damping, the actual
atmospheric conditions often allow for the existence
of waves that are similar to the idealized modes. A
perturbation to the atmosphere that excites a spectrum
of waves can include one or more of these normal
modes, which then grow in amplitude with height due
to the decrease in density.

A number of these modes have been identified
theoretically for realistic conditions. They can reach
large amplitudes in the middle atmosphere. One
commonly observed mode is the quasi-two-day
wave, which has a period of about 2 days and a zonal
wavenumber of 3. It is regularly observed in the
mesosphere just after solstices and can attain very
large amplitudes (meridional wind 30m s�1). Two
modes with zonal wavenumber 1 also appear regular-
ly, although they have smaller amplitude: the 16-day
wave, most commonly seen in the winter hemisphere,
and the 5-day wave. These waves do not transport
much momentum and do not normally have a major

NP EQGMID

LIMS NH potential vorticity − 10mb − 1/20/79

Figure 6 The potential vorticity field corresponding to Figure 1.
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direct impact on the global momentum balance in the
stratosphere. However, they can interact with other
waves such as quasi-stationary Rossby waves, gravity
waves, and tides and thereby affect the periodicity of
variability in the middle atmosphere. Because of its
slow phase speed, the 16-day wave is a significant
component of the atmospheric response to quasi-
stationary disturbances.

Equatorial Waves

Another class of planetary waves occurs only near the
Equator. These waves rely on both buoyancy forces
and the conservation of potential vorticity, and are not
represented by eqn [1]. Of these, the most commonly
observed in the middle atmosphere is the Kelvin
wave, which is regularly seen in satellite observa-
tions with high vertical resolution. A theoretical
Kelvin wave has no meridional winds. Its structure
can be determined from the momentum and
thermodynamic equations under simplified condi-
tions ð�vv ¼ v0 ¼ �ww ¼ D0 ¼ 0Þ. Again, we assume a
wave form with zonal wavenumber k and frequency
o and also assume a vertical wavenumber m
(eqn [8]).

f0 ¼ fk exp½iðkxþmz� otÞ þ z=2H� ½8�
The governing equations can then be written as eqns
[9] to [11].

�ðo� k�uuÞu0 þ kf0 ¼ 0 ½9�

byu0 þ f0
y ¼ 0 ½10�

ku0 � ðo� k�uuÞm
2

N2
f0 ¼ 0 ½11�

Eliminating u0 from eqns [9] and [10] gives the
meridional structure of the wave (eqn [12], where f0

is the wave geopotential at the equator).

f0 ¼ f0 exp � bky2

2ðo� k�uuÞ
� �

½12�

Figure 7 shows the latitudinal structure of geopoten-
tial and zonal wind for an idealized Kelvin wave.

A range of Kelvinwaves have been observed. All are
traveling waves that move eastward with time. They
havewave perturbations in temperature and zonal and
vertical winds; the meridional winds associated with
thewave are zero. Kelvinwaves are normally observed
to have low zonal wavenumbers (1–3). Equations [9]
and [11] can be combined to give a dispersion relation
[13], which relates the frequency of the wave to the
zonal and vertical wavenumbers. Lower-frequency
waves will have larger vertical wavenumbers or,

equivalently, short vertical wavelengths.

ðo� k�uuÞ ¼ �Nk

m
½13�

Low-frequency Kelvin waves that take 10–20 days
to propagate around the globe occur in the lower
stratosphere but are not able to propagate deep into
the middle atmosphere. Eventually, they are likely to
encounter a critical level when the background zonal
wind speed is equal to the phase speed of the wave
ðo� k�uu ¼ 0Þ, and the wave can no longer propagate.
The tropical stratospheric winds are characterized by
temporal variability associatedwith the quasi-biennial
(QBO) and semiannual (SAO) oscillations. The loca-
tions of the critical levels change with time owing to
these oscillations in �uu. Higher-frequency Kelvin waves
can propagate through the stratosphere and some-
times up as far as the upper mesosphere. The deeper
propagation is possible because their phase speeds
exceed wind speeds that are found at lower levels (i.e.
they do not encounter a critical level). Propagation is
also facilitated because the faster phase speeds are
associated with larger vertical wavelengths and are
less likely to be damped.

Another equatorial mode is known as the mixed
Rossby-gravity wave. This mode propagates west-
ward and has been observed in the stratosphere.
Although the mixed Rossby-gravity wave is, like the
Kelvin wave, an equatorially trapped traveling wave,
it has a number of differences. It propagateswestward,
often is observed to have a higher zonal wavenumber
(Z3) and has finite meridional wind. In some ways,
mixed Rossby-gravity waves and Kelvin waves in the
stratosphere are complementary because they tend to
be seen in different wind regimes, have zonal phase
speeds in opposite directions, and carry zonal mo-
mentum of opposite signs.

When a wave encounters a critical level, where
o ¼ k�uu, it can no longer propagate. The momentum
carried by the wave will be absorbed at or near
that point and will alter the background wind speed.
Kelvin and mixed Rossby-gravity waves will

L H Equator

Figure 7 Longitude� latitude structure of the geopotential and

horizontal winds of an idealized Kelvin wave. (Reproduced with

permission from Andrews DG, Holton JR and Leovy CB (1987)

Middle Atmosphere Dynamics. Orlando: Academic Press.)
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propagate upward (Kelvin waves through easterly
winds; mixed Rossby-gravity waves through westerly
winds) only until they reach a critical level. Mean
zonal wind speeds in the equatorial stratosphere, and
hence also the locations of critical levels, oscillate with
time on seasonal to interannual time scales, in
connection with the SAO and QBO. The momentum
deposited at that point actually alters the evolution of
these oscillations. The QBO is believed to be driven to
a large extent and the SAO in part by the momentum
deposited by these tropical waves and by smaller-scale
gravity waves.

Nomenclature

b gradient of f (s� 1m�1)
D damping (s�2)
f Coriolis parameter (s� 1)
H scale height (m)
k zonal wavenumber (m� 1)
m vertical wavenumber (m� 1)
N buoyancy frequency (s� 1)
o wave frequency (s� 1)
f geopotential (m2 s2)
ck wave solution (m2 s2)
p pressure (hPa)
q potential vorticity (s� 1)
r density (m� 3)
t time (s)

u zonal wind (m s�1)
v meridional wind (m s� 1)
w vertical wind (m s� 1)
x longitude (m)
y latitude (m)
z altitude (m)

See also

Kelvin Waves. Middle Atmosphere: Polar Vortex.
Quasi-geostrophic Theory. Rossby Waves. Station-
ary Waves (Orographic and Thermally Forced).
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Definition of the Polar Vortex

The polar vortex is the region of high atmospheric
vorticity that forms with the establishment of the
winter stratospheric polar jet (Figure 1). The polar jet
begins just above the tropopause in both the Northern
and Southern hemispheres reaching maximum wind
speeds near the stratopause (B50km). The polar jet
arises from the strong temperature contrast between
the warm tropical stratosphere and the cold polar
stratosphere. The tropical stratosphere is heated by the
ozone ultraviolet absorption. The polar winter strato-
sphere is unheated during polar night and cools
through infrared emission to space principally by the
gases carbon dioxide, ozone, and water. The equator

to pole temperature difference creates a strong pres-
sure gradient and, as air moves northward, the
Coriolis force deflects this air eastward, creating a
strong eastward-flowing jet. Above the stratopause,
the temperature gradient between the tropics and the
polar region reverses, and polar night jet speed
decreases with altitude into the mesosphere. The
winter polar vortex is seen in both hemispheres, but
the SouthernHemispherewinter vortex is significantly
stronger than its Northern Hemisphere counterpart.

The polar jet almost completely isolates the polar
vortex from themid-latitude stratosphere. This vortex
isolation along with the heterogeneous chemical
processing on stratospheric clouds creates the condi-
tions for severe polar ozone depletion over the winter
poles. The linkage of the polar vortex to the ozone
depletion has generated considerable interest and
research into the formation and breakup of the polar
vortex. Below we review the development, evolution,
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and breakup of the polar vortex. We also review
sudden stratospheric warmings and the differences
between the Northern Hemisphere (NH) and South-
ern Hemisphere (SH) vortex.

Formation of the Polar Vortex

The polar vortex begins to form after the fall (autum-
nal) equinox when solar heating of the polar ozone
layer is cut off. Without the solar heating, the infrared
cooling of the polar air mass causes temperatures to
fall and air begins to descend over the polar region. By
continuity, air also flows poleward as the polar jet
intensifies (see Radiative Transfer: Absorption and
Thermal Emission; Scattering). The polar vortex
usually becomes well organized as a strong zonal
flow by mid-November. Figure 2 shows the evolution
of the vortex wind speed at 20 km (B50 hPa).

Satellite data obtained by the Halogen Occultation
Limb Experiment aboard the Upper Atmosphere
Research Satellite first showed that a significant
amount of mesospheric air enters the stratosphere
during the formation phase of the polar vortex.
Subsequent model calculations showed that this
descent was in agreement with radiative transfer
theory. Air parcels in the mid-stratosphere may
descend a scale height or more (B7km) during the
formation of the vortex. At lower altitudes the descent
is not as large, but this vortex formation period is an

important mechanism for the return of air from the
middle and upper stratosphere to the lower strato-
sphere. Because air from the upper stratosphere
contains a lower concentration of organic chlorine
relative to inorganic chlorine, the descending circula-
tion enriches the inorganic chlorine content of the
polar vortex and is a factor in the severity of the
polar ozone depletion (see Stratospheric Water
Vapor).

The Mature Vortex

In most years the NH polar vortex winds reach peak
intensity during mid-January. It is during this period
that polar stratospheric temperatures reach their
lowest values. From 20 to 25 km, temperatures
approach 190K, and clouds form in the lower strat-
osphere. At an altitude of about 20 km the vortex has
an area of 2.1� 107 km2 (2.9� 107 in the Southern
Hemisphere). Figure 3 shows the midwinter climato-
logy of the NH and SH polar vortices. While the SH
vortex is nearly symmetric, theNHvortex is distorted.
Streamlines are displaced poleward over the Aleutian
region, as a result of the Aleutian anticyclone.

Sudden Stratospheric Warmings

The strong zonal winds of the polar vortex provide a
channel for the upward propagation of Rossby waves
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Figure 1 The zonal mean wind in ms� 1 for July in the SH (left) and January in the NH (right) based upon the average of 21 years of

NationalCenter forEnvironmental Prediction (NCEP)data. The log-pressureheight (7 logð1000=pÞðkmÞ is shownon the leftwith pressure
in hPa on the right. The stratosphere is the region above the tropopause (indicatedwith the solid white lines). The polar vortex is the region

poleward of the strong stratospheric wind jet. The dotted white lines indicate the locations of the cross-sections shown in Figure 2 and

Figure 3.
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from the troposphere. Charney andDrazin (1961) first
showed that only the planetary scale Rossby waves
could propagate into the strong westerly polar vortex
winds during winter, and that the synoptic scale
Rossby waves, responsible for most of the tropospher-
ic variability, would be trapped in the troposphere.
Planetary-scale Rossby waves appear to be principally
forced by air flow over topography. The large station-
ary zonal harmonic one planetary wave seen in

Figure 3 displaces the polar vortex away from the
North Pole. This planetary wave is linked to the flow
over the Himalayan Plateau.

As they propagate into the stratosphere, planetary
waves distort the longitudinally symmetric structure
of the vortex. As viewed from an observer hovering
over the pole, the circumpolar jet appears to be offset
from the pole, or elongated across the pole. As these
waves move, it appears as if the vortex is wobbling
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Figure 2 (A) A time–latitude diagram of the zonal mean wind speed at 50 hPa (B20 km) (see the horizontal dotted line in Figure 1. The

polar jet begins to intensify just before equinox and continues to grow in strength reaching a peak in mid- to late winter. White contours

show the latitude of the 901 solar zenith angle at local noon. (B) Time–height cross-sections of the vortex at 601N with the Southern

Hemisphere shifted by6months for comparison. The vortexwinds intensify at highest altitudes first and the isotachsappear to descendas

the vortex intensifies later at lower altitudes. The Northern Hemisphere vortex reaches peak wind speeds, on the average, betweenmid-

December and in mid-January. The Southern Hemisphere vortex reaches peak wind speeds about 2 months after winter solstice.
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(see Figure 4). Often these wobbles grow so large that
the vortex is completely pulled off of the pole and the
pole to mid-latitude temperature gradient is reversed.
This condition is called a sudden stratospheric warm-
ing and appears only in theNorthernHemisphere. The
World Meteorological Organization (WMO) defini-
tion of amajor sudden stratospheric warming requires
a rapid increase in polar stratospheric temperatures
and a zonal mean wind reversal at 10 hPa. Rapid
change in the temperature without reversal of the
winds is called a minor warming. The development of
these warmings is not considered an instability of the
vortex since none of the usual baroclinic instability
conditions are met (see Middle Atmosphere: Strato-
spheric Sudden Warmings).

Sudden warmings appear to descend from higher
altitudes. Modeling studies have pointed to critical
layer interaction as the mechanism for this descent.
A critical layer is a region where the zonal mean wind
speed is equal to the zonal phase speed of a propagat-
ing wave. An upward-propagating large-scale Rossby
wave (commonly known as a planetary wave) increas-
es in amplitude with increasing altitude as the density
decreases. Eventually the flow becomes so highly
distorted in the upper atmosphere that thewave can no
longer propagate and thewave energy andmomentum
are ‘dumped’ into the flow as a wave breaking event.
The strong nonlinear wave–mean flow interaction
takes place at the ‘critical level’ for the stationary
Rossby wave or the zero zonal wind speed contour.
The sudden warming disturbance appears to move
downward because the secondary circulation driven
by the wave interaction with the critical level extends
below the level of wave breaking, decelerating the
mean flow below the wave breaking zone. The
extension of the secondary circulation associated
with wave breaking below the level of wave breaking

is sometimes called ‘downward control’. As the critical
level moves downward, the planetary wave breaks at
lower and lower altitudes hence the sudden warming
appears to descend.

A sudden warming can develop in any reasonable
stratospheric numerical model that allows upward
Rossby wave propagation and that is forced by a
Rossby wave with increasing amplitude at the lower
boundary. What is not understood is what causes the
Rossby wave amplitude to increase rapidly in ampli-
tude with time, starting the process of wave breaking
in the upper stratosphere. Some studies have suggested
that resonance-type instabilities may be responsible
for the amplification, but these ideas have not been
entirely successful in explaining the development of
sudden warmings.

A more descriptive approach has also been useful
in understanding the development of the sudden
warming as shown in Figure 4. If the vortex is
perturbed from a zonally symmetric position, the
strong winds will begin to transport low-potential-
vorticity air from the tropics toward the polar
region. The tropical air, which has an anticyclonic
vorticity, tends to further increase the vortex displace-
ment from the pole. Continued forcing from below
causes the vortex to dip further toward the tropics and
further increases the northward transport of anticy-
clonic air. This process continues and a large station-
ary high-pressure (low-potential-vorticity) ridge
develops, typically over the Aleutian Islands. This
lower stratospheric stationary ridge is sometimes
referred to as the Aleutian anticyclone. Continued
amplification of this ridge forms the sudden warming
event. Subsequent to the displacement of the vortex
from the pole, elongation of the vortex often creates
two zones where anticyclonic air can be transported
northward, and a secondary ridge forms subsequently,

January 1979–2000 July 1979–2000

Figure 3 Isotachs and streamlines of the monthly mean wind flow showing the structure of the vortex. Arrows show the direction of the

flow. See Figure 1 for the location of the cross-section.
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splitting the vortex in two. When the vortex is
displaced off the pole, the dominant planetary wave
is zonal harmonic one.

With the strong vortex winds disrupted, the pole-
ward transport of very low-potential-vorticity air
weakens, and radiative cooling of the polar air causes
downward transport of higher-potential-vorticity air
from the mid- and upper stratosphere, reestablishing
the polar vortex. Depending on the time of year and
altitude, the recovery usually takes a few weeks as is
dictated by the infrared (IR) cooling rates in the lower
stratosphere.

Sudden stratospheric warmings are most common
in mid- to late winter, but they have been observed
as early as December in the Northern Hemisphere.
From the mid-1950s to 1991 major warmings oc-
curred about every other year, but between 1992 and
1998 there were no major warmings. This lull was
broken by a spectacular December 1998 major
warming.

Transport across the Polar Vortex
Boundary

The size of the polar vortex can be measured by a
number of methods. The most common is to use the
contour of the peak in the potential vorticity (PV)
gradient. This gradient region is seen in Figure 4 as the
strong transition from the high PV (red) to lower PV
values (blue). After reaching maturity in mid-winter,
the polar vortex area begins to decrease. This erosion
process occurs asRossbywaves pull potential vorticity
off the vortex edge, often into spectacular filaments
associated with sudden warmings. One such filament
is visible in the lower left corner of the second map in
Figure 4. High-resolution simulations of the vortex
show that the vortex is always shedding smaller
filaments of material.

The erosion of the vortex is continuous, but it is
most rapid during sudden stratospheric warm-
ings. This erosion process mixes vortex air into the
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Figure 4 Sudden warming in the Northern Hemisphere is shown in this sequence of potential vorticity plots on the 500K potential

temperature surface (B20 km). The projection is polar orthographic (North Pole is at the center). The potential vorticity is computed using

balancedwinds computed fromNCEPClimateAnalysisCenter stratospheric analyses. The sequencebeginswith the vortex displacedoff

the pole by theAleutiananticyclone.The vortex elongates, rotates, and finally splits into two fragments over the period of about onemonth.
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Figure 5 The final warming in the Northern Hemisphere (A) and Southern Hemisphere (B) at the 500K potential temperature surface

(B20 km). Although each year is slightly different, these two years typify the process. Final warmingsmark the breakup of the polar vortex

and the onset of the summer circulation. The appearance of a triangular pattern in the Southern Hemisphere is not surprising since

planetary wave three is forced by topography. Final warmings in theNorthernHemisphere occur around equinox, whereas final warmings

in the Southern hemisphere may be more than 2 months after the equinox.
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mid-latitude air. Occasionally, the atmospheric circu-
lation forces mid-latitude air into the interior of the
vortex, but this process rarely happens above 100 hPa
(16 km). Thus, the polar vortex tends to isolate vortex
air from mid-latitude influence, with the vortex edge
acting as a mixing barrier. The isolation of the polar
vortex air from mid-latitude air is a key factor in
the development of polar ozone-depletion. Without
the isolation, the high levels of ozone-destroying
chemicals could not be sustained.

Below100 hPa the polar vortex is less organized and
intrusions from the tropical troposphere are often
seen. However, because air is descending within the
vortex during winter, these intrusions do not affect the
chemistry above 100 hPa.

Breakup of the Polar Vortex

The polar vortex typically lasts until the spring
equinox in the Northern Hemisphere and up to two
months or more past the spring equinox in the
Southern Hemisphere. Solar heating of the polar
ozone layer increases toward equinox, thus reducing
the ability of the strong IR cooling to restore the
vortex. As during mid-winter, the strong planetary
activity in spring disrupts the vortex, but the warmer
stratospheric temperatures that follow the warming
are much closer to the radiative equilibrium temper-
ature. Thus no strong diabatic descent of higher-
potential-vorticity air follows the event and the vortex
does not recover.This event is called the finalwarming.
After the final warming, the circulation in the zonal
mean winds remains as easterlies in the lower strato-
sphere, signaling the onset of the summer circulation.
Fragments of the chemically perturbed vortex airmass
may persist throughout the summer and have been
observed in the lower stratosphere. Figure 5 shows the
sequence of events that lead to a final warming in the
Northern and Southern hemispheres, respect-
ively. These dates are typical for each hemisphere
although final warmings may be later or earlier by 15
days or so.

Differences between the Northern
HemisphereandSouthernHemisphere
Vortices

The SH polar vortex forms more rapidly, is stronger,
covers a larger area, persists longer than the NH
vortex (Figure 3), and, unlike its boreal counterpart,
shows little year to year variability in strength (Figure
1 and Figure 2B). The stronger vortex is due to the lack
of planetary wave activity in the Southern Hemi-
sphere. This lack of wave activity is due to the relative

flatness of the Southern Hemisphere in comparison to
the large-scale continental topographic features of the
Northern Hemisphere. Indeed, some of the strongest
Southern Hemisphere planetary wave features are not
stationary but traveling waves. Major mid-winter
stratospheric warmings have never been observed in
the Southern Hemisphere, although some very weak
stratospheric warmings have been observed.

The lack of Southern Hemisphere planetary wave
activity is manifested in a weaker poleward eddy heat
flux, and this weak poleward heat flux leads to amuch
weaker poleward and downward circulation over
Antarctica. The absence of this dynamically driven
downward warming circulation gives rise to a colder
polar stratosphere. It is within this colder polar
stratosphere that polar stratospheric clouds (PSCs)
form over wide regions, giving rise to severe ozone
depletion observed in early spring. The persistent
nature of the Antarctic polar vortex is also due to lack
of planetary wave activity to erode the Antarctic
vortex. Historically, the Antarctic vortex was ob-
served to last until about amonth after spring equinox
(the Northern Hemisphere vortex lasts until around
spring equinox).More recently, the lower stratospher-
ic Antarctic vortex has been observed to persist until
late November. This persistence is likely due to the
severe ozone depletion within the vortex interior,
which reduces the solar heating after equinox and
slows the rise of polar stratospheric temperatures.

Ozone depletion also takes place within the NH
vortex, but no convincing evidence yet exists that this
depletion has had an effect on the timing of break up of
the NH polar vortex.

See also

Middle Atmosphere: Planetary Waves; Stratospheric
Sudden Warmings; Transport Circulation. Ozone: Ozone
DepletionPotentials.RadiativeTransfer:Absorption and
Thermal Emission; Scattering. Stratosphere–Tropo-
sphere Exchange: Global Aspects.
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Introduction

The quasi-biennial oscillation (QBO) of the equatorial
lower and middle stratosphere is a fairly regular 2- to
3-year cycle characterized by alternating descending
regimes of easterly (5westward) and westerly
(5 eastward) zonal wind (Figure 1). Accompanying
the zonal wind QBO are anomalies of temperature,
trace constituents, and mean meridional circulation.
The QBO dominates the equatorial lower and middle
stratosphere and affects other regions of the atmos-
phere, including the tropical troposphere, upper
stratosphere and mesosphere, and the extratropical
middle atmosphere in winter.

The QBO is more regular than El Niño/Southern
Oscillation (ENSO), but is not biennial or otherwise
exactly synchronized with the seasonal cycle. The
oscillation is, however, modulated by the seasonal
cycle in one ormoreways.Onset of newQBOwesterly
regimes in the middle stratosphere is linked to
descending westerly phases of the stratopause semi-
annual oscillation (SAO) (see Middle Atmosphere:
Semiannual Oscillation). Not all SAOphases initiate a
new QBO phase, obviously, since the period of the
QBO is 4–6 times that of the SAO. New phases of the
QBO aloft generally wait for old phases of the same
sign to decay in the lower stratosphere and disappear.
Below 30 hPa, the seasonal cycle modulates the final
descent of old QBO phases. This seasonal effect is
distinct from that of the SAO and is likely caused by
annual cycles of upwelling and of wave fluxes entering
the stratosphere from below.

TheQBOperiod is unrelated to any known periodic
forcing and is therefore difficult to understand, but we
should not overlook the regular nature of the oscilla-
tion. The predictability of the QBO is remarkable,
considering that wave motions responsible for the
QBO (described below) occupy a broad spectrum of
spatial and temporal scales, are episodic, complicated,
and inherently unpredictable. The oscillation has now

been observed for more than half a century, with fairly
constant amplitude, and by all appearances is a
permanent feature of the tropical stratosphere.

QBO of Mean Zonal Wind

The prominent aspect of the QBO is an oscillation of
mean zonal wind, where ‘mean’ refers either to a zonal
average of data spaced uniformly around a latitude
circle, or a time average of soundings at an individual
rawinsonde station (typically averaged over one
month). Zonal or temporal averaging eliminates
most high-frequency waves in the tropical strato-
sphere. Not all zonal asymmetries are eliminated by
time averaging, however. Quasi-stationary planetary
waves propagate from the winter hemisphere into the
middle and upper equatorial stratosphere and meso-
sphere. Monsoon circulations originating in the trop-
ical troposphere penetrate the lowermost tropical
stratosphere. It is unknown whether these zonally
asymmetric motions are an important part of the
QBO, i.e., to what extent the QBO departs from
perfect zonal symmetry. The traditional view of the
QBO as a zonally symmetric phenomenon is accurate
enough to provide a basis for theoretical, numerical,
and experimental studies of the oscillation.

The QBO is the dominant component of mean-flow
variability in the equatorial lower stratosphere, and is
approximately symmetric about the equator. The
annual cycle of mean zonal wind is approximately
antisymmetric and is easily removed from the data by
subtraction of the climatology. The SAO attains
measurable amplitude in the tropical middle strato-
sphere, and dominates the upper stratosphere and
lower mesosphere. There is also a ‘mesopause SAO’
out of phase with the stratopause SAO. Both SAOs are
affected by the underlying QBO.

Details of the wind oscillation are as follows. The
QBO attains maximum amplitude of about 23m s� 1

on the Equator, between 30 and 10 hPa, diminishing in
amplitude above and below this layer. Amplitude of
the zonal wind QBO is approximately zero at the
tropical tropopause (B17 km). The latitudinal profile
of zonal wind amplitude is Gaussian-like with
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e-folding scale of 14–151 (Figure 2). The phase of the
zonal wind QBO is independent of latitude in the
tropics, except that (1) the onset of westerly acceler-
ation on the equator occurs about a month before its
onset at adjacent off-equatorial latitudes, and (2)
QBO extrema in themiddle stratosphere are displaced
a few degrees off the equator into the winter hemi-
sphere. There is a pronounced asymmetry between
easterly and westerly phases. The maximum value of
westerly wind (B15m s�1) is about half that of the
maximum easterly wind (B� 30m s�1). Descent of
westerlies from10 to70 hPa ismore rapid anduniform
than the descent of easterlies. Easterly shears occa-
sionally stall above 50 hPa; most stalls occur between
July and February. As a result,QBOwesterly (easterly)
regimes are of longer duration than QBO easterly
(westerly) regimes at 50 (10) hPa.

Easterly onsets at 50 hPa cluster in theNorthern late
spring and early summer. The duration of easterly
phases is typically about 12 months at this level, so
westerly onsets also cluster at this time of year. Several
onsets fall outside this broad time interval; hence, the
QBO is modulated, but not synchronized, by the
seasonal cycle. It is likely that if the seasonal cycle did
not exist, the QBO would be completely asynchro-
nous. Similarity between the average period of the
QBO (B28 months) and integral or half-integral
multiples of the annual cycle (24 or 30 months) is
coincidental. The period of the oscillation cannot be
explained by the seasonal cycle.

A theory of the QBO must account not only for its
unusual period but also for equatorial westerlies in
‘superrotation’, extending over a deep layer, without
loss of amplitude from 10 to 50 hPa. A rotating
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atmosphere, at rest with respect to the surface, has
maximum absolute angular momentum at the equa-
tor. Equatorial westerlies imply a larger value of
absolute angular momentum, which cannot be ob-
tained through advective rearrangement of angular
momentum from a state at rest. Either superrotation
must exist a priori, ormomentum transport by zonally
asymmetric motions is required. Equatorial westerlies
exist in the SAO westerly phase, but it is unlikely that

QBO westerlies are derived entirely (if at all) from
SAO westerlies. It is theoretically possible for SAO
westerlies to be advected downward at the equator by
an anomalous diabatic circulation, but to conserve
absolute angular momentum (weighted by mass) the
zone of westerlies would becomemuch narrower than
observed, and the rate of descent would be much
slower. This statement, incidentally, is based on
conservation of angular momentum and differs from
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a linear-diffusive model of zonal wind propagation
described in early QBO literature. Of course, SAO
westerlies also require explanation. It is thought that
momentum transport by zonally asymmetric wave
motions is responsible for descending easterly and
westerly phases of the QBO, and for descending
westerly phases of the stratopause SAO. The distur-
bances consist primarily of large-scale Kelvin, Rossby-
gravity, and inertia-gravity waves, and small-scale
gravity waves.

Theory of the QBO

Momentum transport by vertically propagatingwaves
is one of two essential ingredients in a simple theory of
the QBO. The other ingredient is a mechanism for
switching between QBO phases at lower levels. As
shown in Figure 3, a spectrum of easterly (5westward
propagating) and westerly (5 eastward propagating)
waves, also propagating vertically, spontaneously

create descending easterly and westerly shear zones.
Momentum transported vertically by the waves is
irreversibly deposited in the mean flow as the waves
break or are dissipated, e.g., by radiative damping.
Dissipating waves in general tend to accelerate the
mean flow in the direction of their horizontal phase
propagation. Given a small asymmetry in the wave
spectrum propagating up from below (or a small
nonzero mean flow, if the forced wave spectrum is
symmetric about zero phase speed), waves of one sign
will drive the mean flow in the lower part of the
domain, leaving the upper part free to accelerate in the
opposite direction, owing to waves with phase speed
of opposite sign. There is a limiting value ofmean flow
that can be attained through this mechanism for any
fixed spectrum of wave forcing. Thus, in order to
conserve angular momentum, shear zones must de-
scend with time. This process continues until (1) the
lower shear zone cannot descend any farther, and (2)
the upper shear zone descends to immediately above
the lower jet. At this point, a switching mechanism is
required for any further change in themean flow.Most
models assume that vertical diffusion of momentum
provides such a switching mechanism, causing the
lower jet to decay. Then, waves responsible for the
lower jet are free to propagate vertically and create a
new shear zone at upper levels. The entire process
repeats, with shear zones reversed, until the lower jet
(now of opposite sign) is once again destroyed by
diffusion. Waves of opposite sign then propagate to
upper levels, forming a new shear zone, and so on,
resulting in a perpetual ‘nonlinear oscillation’. The
period of oscillation is determined by several factors,
including the total wave flux input at the lower
boundary, the range of mean wind speeds attained by
wave driving, and the amount of atmospheric mass
affected by the oscillation. This model easily accounts
for the QBO’s asynchronous period, superrotation,
downward propagation without loss of amplitude,
and tendency for new phases to begin aloft as old
phases decay at lower levels. It should be noted that the
wave forcing is felt within each descending shear zone,
so that the oscillation is, as it were, continually forced.
TheQBO, therefore, should not be regarded as a freely
propagating, zonally symmetric wave. In this context,
the ‘lower boundary’ of the QBO corresponds to the
tropopause, with wave excitation occurring in the
tropical troposphere.

It is likely that vertical mixing of momentum occurs
intermittently or continuously within descending
shear zones as a result of shear instabilities arising
from the superposition of intense mean shear
(B10m s�1 per km) and large-amplitude wave
motions. Vertical shear observed in the QBO and
SAO is the largest of any mean flow in the terrestrial
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atmosphere. The mean shear by itself, however, is
insufficient for shear instabilities that require the local
Richardson number to fall below 1

4.
This conceptual model of the QBO is attributable

to Richard Lindzen. In a 1968 paper coauthored
with James Holton, the first numerical simulations
of the QBO were described. At the time, Lindzen’s
assertion regarding the role of waves did not have
much observational support. The idea was intuitive,
derived from (1) the known theoretical properties
of gravity-wave momentum transport and critical-
layer absorption (see Critical Layers), (2) speculation
that the necessary wave fluxes existed in the tropical
atmosphere and (3) the assumption that a suitable
mechanism for phase-switching could be found.
Observational evidence of equatorial Rossby-gravity
and Kelvin waves (see Tropical Meteorology:
Equatorial Waves) began to accumulate in the
latter 1960s. It soon became evident that wave fluxes
were quantitatively in the right ballpark, so there
was little reason to doubt the Lindzen–Holton

theory. This evidence was exploited by Holton
and Lindzen to construct a modified theory in which
the QBO is driven by two waves: a radiatively
damped Kelvin and Rossby-gravity wave, rather
than by critical-layer absorption of a broad spectrum
of gravity waves. The basic QBO mechanism was
unchanged.

Results of a laboratory experiment by Alan Plumb
and Anges McEwan published in 1978 provided
compelling evidence that an oscillation similar to
that predicted by theory can occur in a weakly viscous
nonrotating fluid as a result of momentum transport
by vertically propagating internal gravity waves.

Today, it is thought that additional wave fluxes are
required, beyond those of the Kelvin and Rossby-
gravity waves, primarily because the entire oscillation
occurs in a region of slow ascent due to the Brewer–
Dobson circulation. The rate ofmean ascent andQBO
descent are comparable, but opposite in sign. A simple
estimate suggests that about twice as much momen-
tum flux is required, relative to the value without
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−c 0 +c

z z

z
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Figure3 Conceptual model of theQBO, illustrating the vertical propagation andmean-flow acceleration due to eastward andwestward

waves (large arrows) and tendency due to vertical diffusion of momentum (small arrows). (After Plumb RA (1984) The quasi-biennial

oscillation. In: Holton JR and Matsuno T (eds) Dynamics of the Middle Atmosphere. Tokyo: Terra Scientific.)
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upwelling, to sustain a similar QBO. This additional
flux is likely provided by a broad spectrum of gravity
and inertia-gravity waves whose role in the QBO can
be simulated reasonably well using the original Lind-
zen–Holton model. Recent observations of ascending
water vapor anomalies in the equatorial lower strato-
sphere were used by the author to calibrate a simple
QBO model, suggesting that the required total wave
flux is 2- to 4-times as large as that of large-scale
equatorial Kelvin and Rossby-gravity waves.

Considerably more work remains to be done to
obtain a detailed picture of the wave spectrum. This
problem is a challenging one because actual wave
motions are spatially localized and episodic in time,
occupying awide range of spatial and temporal scales.
Much of the relevant wave activity in the tropical
stratosphere is attributable to deep moist convection
in the tropical troposphere, which is irregular from
day to day and also characterized by strong regional
and seasonal variations.

Tropical Effects of the QBO

Accompanying the zonal wind QBO are temperature
anomalies (B4K) in thermal wind balance with the
zonal wind anomalies. Westerly (easterly) vertical
shear is relativelywarm (cold) and requires anomalous
subsidence (upwelling) to maintain the temperature
anomaly against radiative damping (Figure 4). The
resulting circulation anomalies affect the dynamical
QBO. Subsidence in westerly shear enhances the
descent rate, and vice versa. The QBO’s mean merid-
ional circulation may also limit the latitudinal extent
of the oscillation. The example shown in Figure 4was

obtained from observations in late winter 1994. At
solstice, the circulation pattern is asymmetric about
the Equator, with a stronger winter cell. The QBO
circulation at equinox is more symmetric.

For photochemically active trace species whose
mixing ratio depends directly or indirectly on temper-
ature, there is a QBO anomaly of mixing ratio sharing
the same pattern and cross-equatorial symmetry as
temperature. Ozone in the middle and upper strato-
sphere is photochemically controlled and provides a
good example. Long-lived species such as methane,
water vapor, and nitrous oxide, on the other hand,
illustrate the effects of the QBO circulation anomaly.
Ozone in the lower stratosphere, under dynamical
control, can also be regarded as a long-lived tracer.
Phase differences between QBO circulation and con-
stituent anomalies dependon the rate of destruction by
eddy mixing and photochemistry.

It has been known for several decades that column
ozone is affected by theQBO. For this constituent, and
for many other tracers, the relation to the dynamical
QBO is somewhat difficult to understand, particularly
at off-equatorial latitudes where the seasonal cycle
and QBO overlap. Here, tracer anomalies are more
synchronized with the seasonal cycle than is the
dynamical QBO, and their temporal spectra contain
additional frequencies (periods near 21 and 812
months) representing the nonlinear interaction of
annual cycle and QBO. An example is shown in
Figure 5, for methane in the middle stratosphere. A
possible explanation of the ‘quasi-synchronized’ pat-
tern of tracer anomalies in the subtropics is that
the QBO’s influence is felt more strongly at a certain
time of year (e.g., late winter or early spring) than
at other times of year. The subtropical pattern cannot
remain constant, because the relation between the
QBO and annual cycle changes from one year to
the next. Rather, there is a slow modulation of the
subtropical pattern. The modulation period is equal
to the time required for QBO onsets to march
through a calendar year: e.g., 13 years, for a QBO
period of 26 months. During a modulation cycle, the
maximum amplitude of subtropical tracer anomaly
may switch from one hemisphere to the other, and
back again.

Temperature and circulation anomalies affect trace
constituents directly, through photochemistry and
advection. An indirect effect of the QBO is to
modulate the lateral propagation and isentropic mix-
ing due to planetary waves entering the tropics from
the winter hemisphere. QBO easterlies ensure that a
critical layer for quasi-stationary planetary waves is
located in the winter hemisphere, well off the Equator,
isolating the equatorial stratosphere from mixing
due to planetary-wave breaking. QBO westerlies,
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on the other hand, allow quasi-stationary waves to
penetrate the tropics and possibly break there, affect-
ing the momentum balance of the QBO and the
distribution of trace constituents. Recent modeling
has shown, however, that equatorial mixing does not
necessarily occur in the westerly phase. Breaking of
small-amplitude waves occurs off the Equator, in both
hemispheres, where themean zonal wind is minimum.
Large-amplitude waves have a wider critical layer,
which may overlap the equator and cause mixing

there. These two situations seem relevant to the QBO.
At 50 hPa, where planetary waves are relatively small,
QBO westerlies are long-lived (12–18 months) with-
out attenuation.At 10 hPa,where thewaves are larger,
QBOwesterlies are short-lived. This asymmetry could
be due to the vertical propagation of an asymmetric
wave spectrum, or to the asymmetry of induced mean
meridional circulation. There is evidence, however,
that laterally propagating waves also determine the
onset of QBO easterlies at 10 hPa.
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The combined effects of mean circulation advection
and isentropic mixing are illustrated in Figure 6,
showing a latitude–height cross-section of nitrous
oxide in early 1992 obtained from theCryogenic Limb
Array Etalon Spectrometer (CLAES) instrument
aboard the Upper Atmosphere Research Satellite
(UARS). The upper part of the ‘staircase’ pattern of
tracer isopleths is attributable to an asymmetric QBO
circulation anomaly similar to that shown in Figure 4.
QBO westerlies in the middle and upper stratosphere
at this time overlay easterlies in the lower stratosphere,
and a subtropical westerly jet had formed near 301N.
Between this jet and the Equator was a narrow zone
of mixing by planetary waves, visible in tracer
maps, acting to homogenize the constituent field in
this region. Similar isentropic mixing was evident in
the mid-latitude ‘surf zone’ at lower levels. One year
later the phase of the dynamical QBO was reversed,
along with the tracer anomalies, and there was little
evidence of isentropic mixing in the tropical upper
stratosphere.

Other effects of theQBO in the tropical atmosphere
include a modulation of SAO westerly descent, with
westerlies extending to progressively lower levels as
theQBOwesterly phase decays. Easterly phases of the
mesopause SAO are stronger in the QBO deep
westerly phase. The QBO is prevented from entering
the tropical troposphere, owing to the Hadley circu-
lation, but some effects of theQBOhave been reported
in this region also. The QBO is one of several factors
influencing the occurrence ofAtlantic hurricanes,with
greater hurricane activitywhen theQBO iswesterly or
becoming westerly at 50 hPa. The QBO may also
affect the latitudinal distribution of sea-level pressure,
precipitation, and deep convection. Analysis of QBO-
related variability in the tropical troposphere is
complicated by unrelated biennial variability in this
region.

Extratropical Effects of the QBO

The extratropical middle atmosphere undergoes a
strong seasonal cycle, with a complete reversal of
mean zonal wind and mean meridional circulation
between summer and winter. Quasi-stationary plane-
tary waves propagate vertically in mean westerlies.
Effects of the QBO on the extratropical middle
atmosphere are observed primarily in the period
from late autumn to early spring. Mean zonal winds
poleward of 451N, averaged from December through
February, are weaker by about 16m s�1 in the QBO
40hPa easterly phase, relative to the westerly phase at
this level (Figure 7A). This effect is accompanied by
more intense planetary-wave activity and flux conver-

gence at high latitudes in the 40 hPa easterly phase,
slightly earlier inwinter (November through January).
Stratospheric major warmings in the polar lower
stratosphere are somewhat more likely in the easterly
phase of the QBO. Major warmings occur in about
half the winters. There is evidence that the QBO’s
influence in late winter depends on the phase of the
solar cycle. The ‘normal’ effect of the QBO described
above is seen in years near solar minimum, while near
solar maximum the effect is absent or perhaps
reversed.

Model studies focusing on the extratropical effect of
the QBO unanimously agree with the observed
tendency for more disturbed conditions and weaker
mean zonal winds in the 40 hPa easterly phase. The
mechanism is not well understood, but may involve
nonlinear reflection of planetary waves from a sub-
tropical critical layer. The position of the zero-wind
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line is affected by the QBO: displaced poleward in the
easterly phase, forming a narrower waveguide,
and resulting in more intense wave activity at
high latitudes. The effect of the QBO is gradual,
accumulating through a winter season, leading to a
divergence of behavior (in mid- or late winter)
between easterly and westerly phases of the QBO.

The models suggest that the extratropical effect of
the QBO is greatest in an intermediate range of
planetary-wave forcings. At small amplitude, plane-
tary waves have little effect on the circulation, and the
QBO’s influence is small. At large amplitude, plane-
tary waves disrupt the polar vortex irrespective of the
phase of the QBO. In Northern winter, planetary-
wave amplitudes lie in an intermediate range, allowing
the QBO’s effect to be seen throughout much of the
winter. In Southern winter, wave amplitudes are
smaller, and the QBO’s effect at high latitudes is
delayed until early spring (Figure 7B). At this time of
year the Antarctic ozone hole forms. The severity of
ozone loss is affected by the QBO, with greater
depletion in westerly QBO years.

The equatorial QBO modulates a mode of variabil-
ity in high Northern latitudes known as the Arctic
Oscillation (AO) or Northern AnnularMode (NAM).
The NAM is closely related to polar warming events
and propagates downward from the stratosphere to
polar troposphere, implying a possible link between
the QBO and high-latitude tropospheric circulation in
winter.

See also

Buoyancy and Buoyancy Waves: Theory. Critical
Layers.DynamicMeteorology:Waves.KelvinWaves.
Middle Atmosphere: Gravity Waves; Semiannual Oscil-
lation. Tropical Meteorology: Equatorial Waves. Wave
Mean-Flow Interaction.
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Introduction

Regular observations of thewinds and temperatures in
the low-latitude stratosphere began only in the 1950s.
Such observations were limited initially to operational
balloon-borne radiosondes, which normally have a
maximum ceiling of about 30 km (pressure of about
10 hPa). Once several years of such observations were
available it was clear that the variations in near-
equatorialwinds in the stratosphere below30 kmwere
dominated by a somewhat irregular oscillation, with a
mean period of roughly 28 months – what we now
know as the quasi-biennial oscillation (QBO; see
Middle Atmosphere: Quasi-Biennial Oscillation).

Rocket observations of the winds extending to
altitudes significantly higher than the balloon ceiling
began in themid-1960s at a limited number of tropical
stations. Figure 1 shows a height–time section of zonal
wind data overAscension Island (81 S, 141W)during a
2.5-year period including 16 months when some very
high-altitude rocket soundings were available. The
data have been smoothed by taking monthly means of
the individual soundings and thenprocessed to remove
both the time-mean value and the 12-month Fourier
harmonic at each height. The result clearly displays the
QBO in the lower stratosphere, but also shows that the
QBO becomes much less prominent above about
35–40 km, where it is replaced as the dominant signal
by a strong semiannual oscillation (SAO) with peak-
to-peak amplitude exceeding 50m s� 1 around
50–55 km altitude. Near the stratopause (B50 km)
the phase of the SAO is such that maximum easterly
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anomalies occur shortly after the solstices in January
and July, while the maximum westerly anomalies
occur around April and October. The SAO in Figure 1
appears to drop in amplitude above the stratopause,
but becomes very strong again in the upper meso-
sphere, particularly above about 75 km. There is a
phase variation in the vertical so that the SAO wind
variations at the amplitude maximum near the meso-
pause (B80 km) are nearly 1801 out of phase with
those at the maximum near the stratopause.

Observations

Figure 2 summarizes the available rocket measure-
ments of zonal wind at the two near-equatorial

stations for which the most extensive data exist,
Ascension Island and Kwajalein (91N, 1681W). Un-
like the QBO, the SAO is clearly phased-locked with
the calendar, and so the data are shown as composites
through the annual cycle averaged over all the avail-
able years of data. In contrast to Figure 1, the results in
Figure 2 include both the long-term mean and the
annual harmonic. At both stations a clear oscillation
with dominant 6-month period can be seen, particu-
larly above about 40 km. The phase and amplitude of
the SAO are seen to vary with height. There is a
downward propagation of the wind variations, par-
ticularly for the easterly-to-westerly transitions. The
downward propagation of the westerly shear zones
(i.e. where qu=qz > 0, and u is the zonal wind) is
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reminiscent of that seen in both phases of the QBO in
the lower and middle stratosphere. Evidence from
satellite observations and model simulations suggest
that the single station results for the wind variations
through the year should be reasonably representative
of the zonal-meanwind, at least at low latitudes. There
is also some annual (12-month) variation evident in
the wind results in Figure 2. Near the stratopause, the
SAO cycle in the first half of the calendar year is
significantly stronger than that in the second half of
the year at Ascension Island, but the two cycles are of
comparable amplitude at Kwajalein.

Data from all available rocketsonde stations have
been used to produce the plot of the amplitude of the
semiannual harmonic of zonal wind as a function of
height and latitude, shown here as Figure 3. The
dominant meridional modulation is a falloff in SAO
amplitude away from the equatorial region, although
there is an indication of a somewhat larger amplitude
on the southern side of the equator.

The observations in situ of the wind in the upper
stratosphere and lower mesosphere are limited to the
rocket soundings which are available from only a
small number of stations, and the useful wind data are
very sparse at low latitudes. The SAO is also seen in
temperature observations and, in particular, the
stratopause SAO has been observed in remote-sensing
radiometermeasurements of temperature from several
different satellites. The equatorially trapped and
roughly zonally symmetric aspects of the SAO near
the stratopause appear clearly in these satellite tem-
perature observations, as does the second equatorial
maximum near the mesopause. The zonal-mean zonal
wind and temperature are expected to be in approx-

imate thermal wind balance (see Dynamic Meteorol-
ogy: Overview), implying that when there is westerly
shear on the equator the mean temperature should
drop off with latitude both to the north and to the
south. Thus westerly (easterly) shear regions in the
SAO should correspond to anomalously warm (cold)
temperatures centered on the equator. The available
observations of the wind and temperature SAO do
appear to be consistent with this expectation. As an
example, Figure 4 shows the equatorial zonal-mean
temperature at several levels near the stratopause,
determined for each month of the year by averaging
available remotely sensed satellite observations over
several years. The seasonal march of these tempera-
tures at each level is dominated by the SAO, and the
downward phase propagation is evident.

In the upper mesosphere and lowermost thermo-
sphere, the available in-situ rocket data are extremely
limited, although there are enough wind measure-
ments at Ascension Island and Kwajalein to show the
second maximum in SAO amplitude near the meso-
pause (Figures 1 and 2). Fortunately, at these heights
satellite-based remote sensing observations of the
horizontal wind (based on measurements of the
Doppler shifts of atmospheric line spectral emissions)
have become available recently. Figure 5 shows the
zonal-mean zonal wind at the equator as a function of
time of year and height between 65 and 110 km
determined from several years of these satellite meas-
urements. The strong SAO in the 75–90 km altitude
range is easily seen. A similar pattern has been
observed in low-latitude, ground-based radar obser-
vations of the wind at these heights. The asymmetry
between the SAOcycles in the first half and second half
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of the calendar year (stronger in the first half) is evident
both in the equatorial satellite measurements (Figure
5) and in the available rocket observations, particu-
larly at Ascension Island (Figure 2).

Dynamics of the SAO

The fact that a strong SAO in atmospheric circulation
should occur near the equator is not in itself surprising.

The Sun crosses the equator twice each year and the
seasonal cycle of the daily-mean solar radiation
incident on the atmosphere is dominated by a semi-
annual harmonic at low latitudes. However, it has
been a significant challenge to account for all the
observed features of the SAO. The occurrence of
easterly mean wind extremes around the solstices at
stratopause level can be accounted for in terms of the
annual modulation of the large-scale circulation in the
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meridional plane. In particular, at stratopause levels
the large-scale flow is thought to proceed from the
summer hemisphere (where air is rising in the extra-
tropical stratosphere) into the winter hemisphere
(where air sinks in the extratropics) (see Middle
Atmosphere: Transport Circulation). Consistent with
this flow is a large-scale structure of the zonal wind
field, with strong easterlies in the summer hemisphere
and westerlies in the winter hemisphere (see Middle
Atmosphere: Zonal Mean Climatology). The effect of
the cross-equatorial flow is to advect the summer
easterlies onto the equator, and this effect should peak
twice a year, roughly around or just after the solstices
(when the cross-equatorial flow is strongest).

The westerly mean flow accelerations in the strato-
pause SAO are thought to arise largely from the
interaction of the mean flow with vertically propagat-
ing internal gravity waves or large-scale equatorial
waves generated in the lower atmosphere (seeMiddle
Atmosphere: Gravity Waves, Tropical Meteorology:
Equatorial Waves). The mutual effects on the mean
flow of (1) the wave propagation and (2) wave
momentum transport lead to a pattern of down-
ward-propagating mean jets (seeMiddle Atmosphere:
Quasi-Biennial Oscillation, Wave Mean-Flow Inter-
action). In the lower stratosphere this is observed in
both phases of the QBO, and the downward propa-
gation is particularly characteristic of the westerly
acceleration phase of the stratopause SAO (Figure 2).

Simple numerical models of the mean flow in the
low-latitude middle atmosphere that have incor-
porated representations of these two mechanisms (a
seasonally independent source of gravity waves or

equatorial waves to account for the westerly acceler-
ation, and the semiannually modulated effects of
cross-equatorial momentum advection) have been
able to simulate realistic stratopause SAO behavior.
Also, these two mechanisms have been shown to
operate in some comprehensive general circulation
models (see General Circulation:Models) that extend
into the middle atmosphere and that produce some-
what realistic SAO simulations. However, there still
remain some significant uncertainties concerning the
stratopause SAO dynamics, including such issues at
the relative role of higher-frequency gravity waves vs.
lower-frequency, large-scale equatorial waves, and the
possibility of significant effects on the equatorialmean
flow from stationary planetary waves (see Stationary
Waves (Orographic and Thermally Forced)) forced in
the extratropics.

Even greater are the uncertainties concerning the
dynamics of the strong SAO near the mesopause. One
plausible explanation for the mesopause SAO is that
the mean wind variations of the stratopause SAO act
as a filter for a broad spectrum of eastward- and
westward-propagating gravity waves excited in the
lower atmosphere. Where there are strong westerlies
at the stratopause level, the upward propagation of
waves with westward phase speeds into the meso-
sphere is favored. When these waves are absorbed at
higher levels they will produce easterly mean flow
accelerations (see Middle Atmosphere: Quasi-Bienni-
al Oscillation, Wave Mean-Flow Interaction). Thus
this filtering effect leads naturally to a mean flow
oscillation at higher levels that is 1801 out of
phase with the stratopause SAO. Once again, this
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mechanism has been included in simple numerical
models that have produced a reasonably realistic SAO
in the simulated mesopause mean flow. However,
observations of the relevant wave, mean flow interac-
tions in the real atmosphere which are sufficiently
detailed to quantitatively confirm this mechanism are
not available.

Effects on Trace Constituents

The SAO in zonal wind and temperature should be
accompanied by a SAO in mean circulation in the
meridional plane. The SAO variations in zonal-mean
vertical velocity are much too small to be measured
directly, but the accumulated effects can be seen in the
distribution of the concentration of long-lived trace
constituents in the stratosphere and mesosphere. As

noted earlier, the occurrence of westerly shear on
the equator is accompanied by anomalously warm
temperatures at low latitudes. Associated with
these warm temperatures will be anomalously
high radiative cooling rates and either sinking of air
or at least anomalously weak rising motion near
the equator.

The effects of the SAO appear clearly in observa-
tions of the zonal-mean concentration of long-lived
trace constituents such as nitrous oxide (N2O) and
methane (CH4) in the stratosphere. Both N2O and
CH4 have chemical sources in the troposphere and are
lofted into the stratosphere in the mean tropical
upwelling. These constituents are subject to chemical
destruction in the stratosphere, and this leads to a
vertical stratification in the concentration (see Strato-
spheric Chemistry and Composition: Reactive Nitro-
gen (NOx and NOy)). Figure 6 shows the meridional
structure of the CH4 concentration at 1.5 hPa
(B48 km) observed by satellite remote sensing tech-
niques plotted for each month of the year. There is a
marked depression of the concentration isopleths near
the equator observed in the upper stratosphere in
April, and to a lesser degree in October. April is the
time ofmaximumwesterlies near 1 hPa (B50 km) and
thus is also the end of a period starting around
February, when westerly shear is present at this level
(see Figure 2). The associated low-latitude sinking
during this period leads to the observed near-equa-
torial depression of the tracer isopleths.

See also

Dynamic Meteorology: Overview. General Circula-
tion: Models. Middle Atmosphere: Gravity Waves;
Quasi-Biennial Oscillation; Transport Circulation; Zonal
Mean Climatology. Stationary Waves (Orographic and
Thermally Forced). Stratospheric Chemistry and
Composition: Reactive Nitrogen (NOx and NOy). Trop-
icalMeteorology:EquatorialWaves.WaveMean-Flow
Interaction.
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Stratospheric Sudden Warmings

AO’Neill, University of Reading, Earley Gate, Reading,
UK
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Introduction

The stratospheric sudden warming (SSW) is the most
dramatic meteorological phenomenon to take place in
the stratosphere. This article will describe its main
features and will give a brief history of its discovery.
Examples of the various kinds of SSW will be
presented and discussed. There is then a review
of some of the theoretical ideas that have been
advanced to explain the origin and evolution of
the SSW. This includes a discussion of what
triggers the SSW and of what factors might affect the
frequency at which it occurs. Finally, the effects of
SSWs are considered, first on the distribution of trace
constituents in the stratosphere, and secondly on the
weather.

The Basic Facts

SSWs occur in the stratosphere of the Northern
Hemisphere during winter. Temperatures rise sharply,
by as much as 801C or more in a few days. Figure 1
shows temperature changes recorded at a high-lati-
tude location during a strong sudden warming.
Accompanying these changes, the stratopause de-

scends over some locations by as much as 20 km, as
shown in Figure 2.

Before the onset of the warming, the stratospheric
circulation is dominated by a cold and strong westerly
polar vortex, which lies over the North Pole, covering
most of the Northern Hemisphere outside the tropics
(Figure 3). During a so-called major warming, this
polar vortex is almost entirely broken down in a
matter of days. The stratospheric circulation under-
goes a dramatic change. Westerly winds are replaced
by easterlywinds throughoutmuch of the stratosphere
at high latitudes. The occurrence of a major warming
can be detected in the stratosphere over the whole
globe.

Major warmings do not occur every winter. They
tend to occur every three or four years, but there have
been longer runs of yearswithoutmajorwarmings. So-
called minor warmings occur almost every winter.
Although there are large increases in temperature
during such events, the polar vortex is not broken
down.

Major warmings do not occur in the stratosphere of
the Southern Hemisphere (though an exceptional
event, resembling wave-2 major warmings in the
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Northern Hemisphere, occurred in September 2002).
The polar vortex is much stronger than that of the
Northern Hemisphere and less readily disrupted.
Warmings do, however, occur in spring when the
vortex is in the process of weakening during the
springtime transition fromwesterly winds in winter to
easterly winds in summer. They are called ‘final
warmings’, because the polar vortex does not recover
until the following winter.

SSWs lead to a net poleward and downward
transport of stratospheric air. They also bring about
a vigorous mixing of air of polar origin with air of
subtropical (or tropical) origin, thereby weakening
any preexisting, latitudinal gradients in the concen-
trations of chemical constituents.

SSWs are generated by the upward propagation of
planetary-scale disturbances from the underlying
troposphere. The precise nature of the links between
stratosphere and troposphere during SSWs has
been difficult to establish, because SSWs are highly
nonlinear dynamical events.

A Brief History

In the early 1950s, knowledge of the stratosphere was
still woefully inadequate. Richard Scherhag, at the
newly established Free University of West Berlin, had
used radiosondes to construct monthly mean maps of
the stratosphere at a height of 22 km. He realized that
a new American radiosonde, which remedied some
shortcomings with earlier models, would allow relia-
ble measurements of temperature to be made up to a
height of 40 km or more. Starting in January 1951, he
arranged for these radiosondes to be launched regu-
larly from Tempelhof Airport in Berlin. He witnessed
the first ‘explosive warming’ on 27 January 1952; it
came as a complete surprise. He noted that tempera-
tures rose to values that were not reached even at the
height of summer.

Scherhag set up a group of stratospheric meteorol-
ogists at the Free University of Berlin. For decades, by
using data from radiosondes and rocketsondes, this
group assiduously constructed maps for the Northern
Hemisphere of geopotential height and temperature at
selected pressure levels in the stratosphere up to
10 hPa. (The paucity of sondes meant that such maps
could not be constructed in the SouthernHemisphere.)
Thanks to the efforts of this group, the nature, extent,
and evolution of SSWs were revealed. Today, the
radiosonde network is much improved, and satellites
give continuous global coverage of the state of the
atmosphere, including the stratosphere. Yet the im-
portant discovery of SSWs resulted from a single
measurement made in the right circumstances.

Classification and Description of
Stratospheric Sudden Warmings

A typical state of the stratosphere of the Northern
Hemisphere during winter was presented in Figure 3.
Two vortices are present: the cold polar vortex, which
dominates the circulation, and a persistent, butweaker,
anticylone near the dateline, referred to as the
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Aleutian High. The intensification of the Aleutian
High, and the accompanying weakening of the polar
vortex, almost invariably play a major part in the
evolution of SSWs.

The four following kinds of SSW have been iden-
tified: major midwinter warmings; minor warmings;
Canadian warmings; final warmings.

Major Midwinter Warmings

Major midwinter warmings occur mostly in January
and February. In addition to a warming of the North
Polar region and the reversal of the normal wintertime
temperature gradient (cold pole; warm tropics), they
lead to a breakdown of the polar westerly vortex,
which is replaced by an anticyclone (usually the
Aleutian High). TheWorldMeteorological Organiza-
tion classifies warmings as major when the usual
westerly winds of the Arctic at 10 hPa are replaced by
easterlies as far south as 601N.

The polar vortex is either displaced entirely from the
pole or split in two. These warmings are therefore
often referred to respectively as ‘wave-1’ warmings
and ‘wave-2’ warmings. Some major warmings ex-
hibit a hybrid character, with the polar vortex being
displaced asymmetrically from the pole and then split.

Wave-1 type

Figure 4 shows a classical example of a wave-1 type
SSW,which occurred in northernwinter 1986/87. The
Aleutian High (near the dateline) has intensified,
displacing the polar vortex and the associated cold
air from the pole. Such intensification is often the
result ofmerger between the quasi-stationaryAleutian
High and an eastward-travelling anticylone that forms
to the west near 01E and is then advected eastward
around the polar vortex. Temperatures rise sharply in
the strengthening jet stream between the polar vortex
and the Aleutian High. This temperature rise is the
result of adiabatic compression of the air as it descends
(by up to about 2 km) on entering the jet stream. The
polar vortex is characterized by high values of poten-
tial vorticity. It weakens rapidly as air with high values
of potential vorticity is drawn away into the antic-
ylonic circulation (see Figure 13, described later, for an
illustration of the process). As the warming subsides,
the polar vortex recovers by radiative cooling of the
polar air.

Figure 5 shows the accompanying evolution at
10 hPa of zonal-mean winds and temperatures (quan-
tities averaged around latitude circles). A sharp rise in
polar temperatures is evident inDecember, leading to a
reversal of the north–south temperature gradient, and
accompanied by a rapid deceleration of zonal-mean
winds. The winds reverse from westerly to easterly as

far south as 601N, so the event would be classified as
‘major’.

Wave-2 type

The most dramatic major warmings involve a com-
plete split in the polar vortex, followed by a rapid
breakdown of one or both of the two cyclonic vortices
that result from this split. The growth of the Aleutian
High is accompanied by the development of a second
anticylone in the vicinity of theGreenwichMeridian at
01E. They tend to occur less frequently than major
warmings of the ‘wave-1’ type.
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Figure 4 Fields of geopotential height (A) and temperature (B)

for theNorthernHemisphereat 10 hPaon10December1987at the

height of a major warming of the wave-1 type. The Aleutian High

(gray shading) has moved over the pole; the polar vortex is
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An unusually symmetrical example of a ‘wave-2’
major warming occurred in northern winter 1984/85.
Its evolution is illustrated in Figure 6. There
are two developing anticyclones: the Aleutian High
near 1801E and another (nonclimatological)
anticyclone near 01E. The polar vortex was split
in the ‘pincer’ formed by these anticyclones,
which then merged over the pole, as shown in
Figure 7, bringing warm air over the polar cap.
Subsequently, both of the cyclones weakened rapidly
as they were stretched out around the strong anticy-
clone over the pole.

Minor Warmings

Minor warmings occur every winter in the strato-
sphere of both hemispheres. They share many of the
characteristics of ‘wave-1’majorwarming, except that
the polar vortex is not broken down and the wind
reversal from westerly to easterly is less extensive.
Major warmings are often preceded by a series of
minorwarmings,whichmay serve toweaken the polar
vortex steadily after midwinter, making it more
susceptible to a complete breakdown.

Canadian Warmings

Canadian warmings occur in early winter in the
stratosphere of the Northern Hemisphere, typically
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Figure 6 Fields of geopotential height (A) and temperature (B)

for the Northern Hemisphere at 10 hPa on 28 December 1984,

during the buildup to a major warming of the wave-2 type. The

Aleutian High near the dateline (shaded) is accompanied by a

second (nonclimatological) anticyclone near longitude 01E. The
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Figure 7 Fields of geopotential height (A) and temperature

(bottom) for theNorthern Hemisphere at 10 hPa on 2 January 1985

at the height of a wave-2 major warming. The two anticyclones

shown in Figure 6 have merged over the pole, and warm air has

spread over the polar cap. The two cyclones are weakening rapidly

as they are drawn westward around the anticyclone (clockwise on

the figure). Units: km for geopotential height; K for temperature.
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from mid-November to early December. (They have
no counterpart in the Southern Hemisphere.) They
show a special kind of structure and evolution,
illustrated in Figure 8. The warm Aleutian High is
advected eastward in a few days from its normal
position over the dateline towards the 901 W line of
longitude over Canada. The polar vortex is displaced
from the pole and strongly distorted, but does not
break down. Temperature changes are modest com-
pared with major warmings, and affect mainly the
middle and lower stratosphere. As the Aleutian High
collapses, the vortex regains its usual polar position.

Final Warmings

Springtime final warmings mark the transition in the
stratosphere between westerly winds in winter and
easterly winds in summer. This transition does not
occur smoothly, as it would were it driven purely by
radiative heating, but in a sporadic manner owing to
SSWs. A final warming is said to have occurred when
the latitudinal temperature gradient finally changes
sign at the end of winter and easterly winds remain at
middle and high latitudes. Figure 5 illustrates these
changes for a final warming in the Northern Hemi-
sphere near the beginning of April 1987.

Final warmings are the dominant large-scale events
in the stratosphere of the Southern Hemisphere. Their
evolution is very similar from year to year, and is
illustrated in Figure 9. A quasi-stationary anticyclone
appears near the dateline, typically in early October.
The intense polar vortex weakens from the top of the
stratosphere steadily downwards, as warm air pro-
gressively replaces cold air over the polar cap. This
breakdown extends down to the lower stratosphere,
where a remnant of the polar vortex remains to
intensify again during the following winter.

Theories of Stratospheric Sudden
Warmings

Early Ideas

An early theory was that SSWs were due to solar
‘storms’. Scherhag entitled his first paper on the
phenomenon ‘Proof of the Influence of Solar Eruptions
on theWeather in the Stratosphere’. In this, he tried to
link an unexpected, intense SSW to a very strong
eruptionon the sun. It is nowknown, however, that the
warming he observed began much earlier than the
solar event.

By the 1960s, theoretical studies were providing
compelling evidence that SSWs originated from the
upward propagation of planetary-scale disturbances
in the troposphere, visible as a large-scale meandering
of the westerly jet stream in the troposphere at
midlatitudes. It was shown that the direction and
strength of the winds in the stratosphere exert a strong
control on the ability of these disturbances to propa-
gate upwards. The theory showed that in summer,
when winds in the stratosphere are easterly, distur-
bances cannot propagate out of the troposphere to any
great extent. This finding explains why SSWs occur
only in winter and not in summer. The theory showed
that during winter, when winds in the stratosphere are
westerly, the longest, planetary-scale disturbances
can propagate from the troposphere right through
the stratosphere, but shorter-scale disturbances,
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Figure 8 Fields of geopotential height (A) and temperature (B)

for theNorthernHemisphere at 10 hPa on7December 1981during

a Canadian warming. The Aleutian High (gray shading) has been

advected eastward from its usual position near the dateline to

901W (over Canada). The polar vortex, though displaced from the

pole, remains strong.Notice that the temperature changesover the

polar cap are much less than occur during major warmings, as

shown in Figures 4 and 7. Units: km for geopotential height; K for

temperature.
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characteristic of weather systems in the troposphere,
are confined to lower altitudes. This filtering effect of
the westerly winds in the stratosphere explains why
the geopotential height and temperature patterns
associated with SSWs are very large-scale.

An alternative hypothesis, also being investigated
around that time, was that SSWs were the result of
internal, hydrodynamic instability in the stratosphere,
whereby a small initial perturbation in the strato-
sphere may grow rapidly. Strong wind shears in the
stratosphere during winter mean that the necessary
condition for instability is oftenmet. This theory could
not, however, account for the observed structure of

SSWs, nor could it account for the absence of SSWs in
the Southern Hemisphere, where wind shears are very
strong and often satisfy the necessary condition for
instability.

Paralleling this theoretical work, studies based on
observational data showed that SSWs are accompa-
nied by an increase in the upward energy flux from the
troposphere. Building on this finding, the seminal
modeling and theoretical work of Taroh Matsuno in
the early 1970s provided compelling evidence for the
tropospheric origin of SSWs, and set out a theory of
SSWs which is broadly accepted today.

Matsuno’s Theory of SSWs

Matsuno’s theory of SSWs was built around a theo-
retical model of stratospheric dynamics that divides
the circulation into zonal-mean (averaged around a
latitude circle) and wave components (departures
from the zonal mean). He postulated that the mean-
flow changes observed during sudden warmings,
including the deceleration in zonal-mean wind and
the mean temperature rise near the pole (Figure 5), are
attributable to the effects of vertically propagating
planetary waves forced in the troposphere by large-
scale disturbances there. A theoretical finding, the
Charney–Drazin nonacceleration theorem, had dem-
onstrated that steady, conservative, linear planetary
waves are incapable of inducing such mean-flow
changes. Matsuno realized that the nonacceleration
theorem would be violated when a transient packet of
planetary waves first starts to propagate upward.
Calculations showed that at the leading edge of the
packet a westward body force would be exerted at
midlatitudes on the zonal-mean wind. In addition, a
zonal-mean temperature increase would occur at
polar latitudes (as well as a zonal-mean temperature
decrease at low latitudes). Thus, the mean-flow
changes associated with the leading edge of a transient
planetary-wave packet are qualitatively similar to
those observed during SSWs.

Matsuno gave a convincing demonstration of the
validity of these theoretical ideas by using a simplified
numerical model to simulate the interaction between a
single planetary wave and the zonal-mean flow. Wave
amplitudes could be specified at the lower boundary of
the model near the tropopause, so that the effects of
forced, transient planetarywaves could be studied.He
found that the interaction between the planetary wave
and the mean flow led to an evolution of mean wind
and temperature fields, which in some cases was
reminiscent of that occurring during SSWs. Figure 10
shows fields from an experiment in which the forcing
was a planetary wave with zonal wave number 2
(high–low–high–lowaround a latitude circle).Westerly
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Figure 9 Fields of geopotential height (top) and temperature

(bottom) for the Southern Hemisphere at 10 hPa on 15 October

2001 during a final warming. A quasi-stationary anticyclone (gray

shading) has developed over the dateline and the polar vortex is in

the process of weakening. At the level shown,warmair has already

replaced cold air over the polar cap. The weakening and break-

down of the polar vortex proceeds in a ‘top-down’ manner from the

upper stratosphere to the lower stratosphere.
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winds were replaced by easterly winds after about 20
days of integration, and there was an accompanying
rapid temperature increase of over 80 K in the
simulated stratosphere. The evolution shown in the
figure is reminiscent of that seen during SSWs of the
wave-2 type described earlier.

The strong association, demonstrated byMatsuno’s
numerical simulations, between SSWs and transient
wave activity in the troposphere offers an immediate
explanation ofwhy SSWs do not occur in the Southern
Hemisphere during midwinter. Planetary waves are
generated by mountains and by contrasts between the
temperatures of land and sea. Because much of the
Earth’s surface in the SouthernHemisphere is oceanic,
such waves are weaker than in the Northern Hemi-
sphere. The polar vortex in the Southern Hemisphere
is correspondingly stronger and more resilient to any
short-term increases in planetary wave activity in the
troposphere.

Additional Dynamical Aspects

Since Matsuno’s seminal work, numerous SSWs have
been studied utilizing global observational data from
satellites. These studies have amply confirmed the
premise that SSWs are associated with increases in the
upward fluxes of planetary wave activity in the
stratosphere.

However, two features of Matsuno’s numerical
experimentsmust be amended for detailed application
to actual SSWs. First, SSWs are highly nonlinear
dynamical events. The neglect of wave–wave interac-
tions inMatsuno’s simplifiedmodelmeans that certain
aspects of stratospheric variability cannot be captured
by the model. Secondly, Matsuno’s experiments in-
volve planetary wave perturbations to a stratospheric
state that is initially zonally symmetric. For actual
warmings, the initial asymmetry of the stratospheric
state is relevant. As we have already noted, wave-1
warmings often arise when an eastward-travelling
anticyclone in the stratosphere merges with the pre-
existing, quasi-stationary AleutianHigh, leading to its
intensification and an associated weakening of the
polar vortex. Wave-2 warmings tend to develop from
an earlier wave-1minor warming, when the strato-
spheric polar vortex is already highly elongated and
therefore more susceptible to splitting.

Dynamical Links with the Troposphere

Although some progress has beenmade in establishing
which features of the tropospheric circulation can
produce SSWs, the precise nature of these connections
remains somewhat elusive.

Broadly speaking, it appears that the strength of the
stratospheric Aleutian High, the growth of which
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almost invariably plays a part in SSWs, is strongly
influenced by the strength of a large-scale climatolog-
ical feature of the tropospheric circulation, the so-
called East Asian Low, located near 1401E in longi-
tude. It is the most intense, persistent cyclonic struc-
ture in the troposphere (Figure 11). It is produced
largely by the Himalayan mountain range and by
land–sea contrasts in winter between the cold Asian
continent and the warmer Pacific Ocean. To a first
approximation, the Aleutian High can be viewed as
part of a downstream Rossby wavetrain emanating
from the East Asian Low.

Some major SSWs of the wave-1 type do appear to
be associatedwith the anomalous intensification of the
EastAsianLow. It is not the case, however, that there is
generally a simple, one-to-one correspondence be-
tween an intensification of the Aleutian High and a
preceding intensification of the East Asian Low or
other tropospheric structure.

Experiments with numerical models have revealed
why the expectation of a simple correspondence
between transient events in the troposphere and
SSWs in the stratosphere, as envisaged in Matsuno’s
original theoretical scheme, can be frustrated. Exper-
iments with fully nonlinear models show that when
planetary wave amplitudes in the troposphere are set
to typically observed values and are held steady (i.e.,
there is no imposed wave transience), the simulated
stratosphere exhibits strong internal variability rem-
iniscent of a sequence of minor warmings. In these
experiments, the violation of the Charney–Drazin
nonacceleration theorem is the result not of transience

in wave forcing (as in Matsuno’s experiments) but of
nonlinearity, which results in transience of both the
wave and the mean-flow response. Evidently, if steady
waves in the troposphere can cause SSW-like variabil-
ity in the stratosphere, then a straightforward attri-
bution of a SSW to a transient event in the troposphere
cannot always be expected. Nevertheless, it is the
case that major SSWs occur when planetary wave
amplitudes in the troposphere are anomalously high,
even if the exact time sequence of events may be
complicated.

By contrast, attempts to link major warmings of the
wave-2 type with the development of specific features
in the tropospheric circulation have been more
successful. The dramatic split in the polar vortex,
which occurs during these events, can often be traced
right down into the troposphere, where the East Asian
Low is partnered by the appearance of another
cyclonic circulation over North America near 901W
(Figure 12) – hence the growth of a strong wave-2
pattern in the troposphere. Later in the warming, the
tropospheric flow at midlatitudes may also develop a
characteristic ‘blocking pattern’, comprising a persist-
ent anticylone over the Atlantic or Pacific Ocean, or
both. (Tropospheric ‘blocking’ was one of the early
contenders as a tropospheric cause of SSWs, but the
link was tenuous because blocking tended to occur
after the onset of the SSW, if at all.) The relative
strength of these two cyclonic circulations affects how
the stratospheric polar vortex splits, and also the
relative strengths of the two anticyclones that develop
in the stratosphere.
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Factors Affecting Year-to-Year Variability of SSWs

Different winters show substantial differences in the
frequency and nature of SSWs.Major warmings occur
intermittently, typically with gaps of three or four
years between them. This year-to-year variability has
been attributed to

(1) variability in the large-scale structure of the
tropospheric circulation;

(2) variability in the tropical stratosphere; and
(3) variability of external forcings.

(1) A major source of tropospheric variability is the
El Niño Southern Oscillation phenomenon (ENSO).
It has been found that the East Asian Low in the
troposphere is deeper during thewarmphase of ENSO
than during the cold phase. Since the Aleutian High in
the stratosphere is generated in part by the East Asian
Low, it has been proposed that warm ENSO events
should favor awarmer than normal polar stratosphere
and also the occurrence of a major SSW. Observations
show some empirical evidence for such a connection,
but there are several notable exceptions when unusu-
ally warm winters in the polar stratosphere coincide
with the cold phase of ENSO.

(2) The dominant source of variability in the
tropical stratosphere is the Quasi-Biennial Oscillation
(QBO), which involves the quasi-periodic reversal of
zonal winds from westerly to easterly and back again.
Theory shows that the zonal-wind structure in the
stratosphere affects the propagation of planetary
waves from the troposphere. When the QBO is in its
westerly phase throughout the tropical lower strato-
sphere, the waves are refracted away from polar
regions towards the tropics. The stratospheric polar
vortex should therefore be cold and strong, with less-
intense SSWs.When, on the other hand, the QBO is in
its easterly phase, the waves are more confined to
middle and polar latitudes. The polar vortex should be
warmer and weaker and therefore more susceptible to
breakdown by SSWs.

When stratosphericwinters are divided into two sets
according towhether the phase of theQBO is westerly
or easterly, it is found, however, that the difference
between the sets is weak and not statistically signifi-
cant, which implies that the tropical QBO is not the
overriding control on year-to-year variability in the
polar stratosphere.

(3) It has been a long-standing quest to establish
links between solar variability and Earth’s weather
and climate. As we have noted, a solar ‘storm’ was the
first proposed cause of SSWs. The extensive record of
stratospheric data archived by the Berlin group
allowed K. Labitzke and H. van Loon to analyze the
possible impact of the 11-year cycle in solar variability

(manifested in the variability in sunspot numbers) on
the stratosphere by using statistical methods.

To obtain statistically meaningful results, Labitzke
and van Loon had to categorize stratospheric winters
according both to the phase of theQBOand also to the
phase of the solar cycle. For a 40-year data sample,
they found that: (a) during the westerly phase of the
QBO,majormidwinter SSWs occur only atmaxima in
the sunspot cycle; and (b) during the easterly phase,
major midwinter SSWs occur preferentially during
solar minima.

To date, dynamical mechanisms to explain these
statistical relationships have yet to be firmly verified.
In addition, the statistical robustness of the relation-
ships so far established is questionable, and will
remain under scrutiny as additional years of data are
accumulated.

Effects of Sudden Warmings

On the Distribution of Trace Constituents

A SSW irreversibly alters the distribution of trace
constituents in the stratosphere. Air is transported
over large distances in the north–south direction and
irreversiblymixed atmidlatitudes. In addition, there is
an enhancement of the overturning, meridional circu-
lation, consisting of systematic ascent of air at
low latitudes and systematic descent of air at high
latitudes.

Figure 13 illustrates the large-scale, quasi-horizon-
tal mixing that occurs during a SSW. As the Aleutian
High (or any other anticylone) intensifies, it entrains in
air from low latitudes, sometimes fromdeepwithin the
tropics. Air is also peeled off the polar vortex into the
anticylone, where it is wound into ever narrowing
spirals along with the low-latitude air. Any preexist-
ing, latitudinal gradients in chemical concentrations
are reduced by this anticylonic mixing. Chemical
reactions can also occur, since previously well-sepa-
rated reactive species are brought into chemical
contact. The breakup of the polar vortex during a
major SSW, or during a final warming, leads to the
greatestmixing of polar and low-latitude air, bringing,
for instance, ozone-poor air from the polar vortex to
midlatitudes.

On the Weather

Although SSWs originate from tropospheric distur-
bances, there is the possibility of a feedback effect,
whereby the evolving state of the stratosphere exerts
some effect on that of the troposphere. It is observed
that anomaly patterns associated with SSWs descend
with time, giving the appearance, on some occasions,
of descent into the troposphere.
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Descent of wind and temperature anomalies with
time through the stratosphere is a feature of strong
SSWs (recall Figure 2). This is a kind of downward
phase propagation against the direction of upward
propagation of wave activity, similar to that which
occurs during the evolution of the QBO. It is possible,
therefore, that if these anomalies descend as far as the
lower stratosphere then the large-scale flow structure
in the troposphere, as well as local weather, might be
sensitive to a changing upper boundary condition near
the tropopause. To test this idea fully, numerical
experiments with nonlinear models of the coupled
troposphere–stratosphere system will be needed.

See also

Dynamic Meteorology: Overview; Waves. Middle At-
mosphere: Planetary Waves; Polar Vortex; Transport
Circulation; Zonal Mean Climatology.
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Figure13 This figure illustrates the strong, quasihorizontal mixing of air that occurs in the stratosphere during a SSW. It was derived by

using a high-resolution, Lagrangian method in which the movement of many thousands of air parcels was computed. Streamers of air

(delineated byblue shading) are beingdrawn from low latitudes into theAleutianHigh, the redareaat the topof the figure containing yellow

swirls. Air from the polar vortex, shaded yellow, is also being drawn into the Aleutian High where it mixes with the air from low latitudes.

Through this loss to the Aleutian High of air that has high values of potential vorticity, the polar vortex weakens during a SSW.
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Introduction

The circulation in the middle atmosphere strongly
influences the distribution of long-lived chemical
tracers. For example: ozone produced at altitudes
above 25 km is transported poleward and downward
into the lower stratosphere, where it accumulates;
man-made chlorofluorocarbons (CFCs) and other
tropospheric source gases are drawn up in the tropical
stratosphere to altitudes where they are photolysed by
energetic ultraviolet radiation. It has long been recog-
nized that to explain the dryness of the stratosphere
there must be a circulation in which air enters the
stratosphere at the Equator, where it is dried by
condensation, followed by poleward transport to
middle and high latitudes. This hemispheric Equator-
to-pole circulation is often called the Brewer–Dobson
circulation after the two scientists who first inferred
the circulation frommeasurements ofwater vapor and
ozone.

The Brewer–Dobson circulation is forced by non-
linear effects associated with upward propagation of
planetary and gravity waves from the troposphere
(see Stratosphere–Troposphere Exchange: Global As-
pects). Wave breaking, particularly planetary wave
breaking in the winter stratosphere, gives rise
to a westward force. Since the Earth is a rapidly
rotating planet, there is a gyroscopic effect in
which a westward force produces a poleward
drift. The poleward drift draws air up in the equatorial
region, which then becomes colder than radiative
equilibrium and so becomes radiatively heated, and
pushes air down at high latitudes accompanied by
radiative cooling.

Mean Meridional Circulation

The time-mean meridional (height–latitude) circula-
tion can be examined by considering the Eulerian or
Lagrangian averaged motion. The Eulerian mean
circulation averages the motion over a set of coordi-

nates fixed in latitude and height. The Lagrangian
mean circulation averages the motion following air
parcels.

Eulerian Mean Circulation

Figure 1 shows for January the Eulerian mean merid-
ional streamfunction, �ww, defined from the zonally
averagedmeridional, �vv, and vertical, �ww, velocities (eqn
[1]).

r0�vv ¼ � q�ww
qz

r0 �ww ¼ q�ww
qy

½1�

In eqn [1] z is a log-pressure vertical coordinate and
the basic density r0ðzÞ ¼ rse

�z=H with rs surface
density and H an atmospheric scale-height.
Figure 1 shows ascent in the tropics and subtropics
of the Southern (summer) Hemisphere, downward
motion in mid-latitudes of the Northern (winter)
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Hemisphere, weak downward motion below 20km
in mid-latitudes of the Southern Hemisphere, and
upward motion near the North Pole. The reverse cell
at high latitudes of the winter hemisphere is not
in accordance with the single cell per hemisphere
Brewer–Dobson circulation that long-lived chemical
tracers indicate. It arises from performing averages
on isobaric surfaces around latitude circles as
illustrated by Figure 2 which shows a latitude–longi-
tude section at 32 km of the mean flow field (thin
contours) and vertical velocity (ascent solid contours,
descent dashed contours) for January.Averaging along
latitude circles gives a region of strong ascent at 801N
and a region of strong descent at 601N. However the
mean flow field has a strong ridge near longitude 1801
associated with the Aleutian anticyclone, with the
result that the mean flow does not follow latitude
circles. When the vertical motion is averaged along
contours of the mean flow there is large cancellation
between the ascent near the pole and descent in
mid-latitudes. The actual average vertical motion of
air parcels will be a slow drift downward across
isentropes associated with radiative cooling in high
latitudes.

Transformed Eulerian Mean
Circulation

A better way to view the mean meridional circulation
is with the transformed Eulerian mean (or residual

mean) circulation, which is closely related to the
diabatic circulation (i.e. the movement across isen-
tropes associated with radiative heating or cooling).
Hence the transformed Eulerian mean circulation is
qualitatively in agreement with the Lagrangian mean
circulation.

The zonally averaged thermodynamic equation
under the quasi-geostrophic approximation is eqn [2].

q�yy
qt

þ �ww
q�yy0
qz

¼ �QQ� qðv0y0Þ
qy

½2�

The overbar represents a zonally averaged quantity, y
is potential temperature, y0 ¼ y0ðzÞ is a reference
profile potential temperature, Q is diabatic heating,
and v0 ¼ v� �vv; y0 ¼ y� �yy. The last term on the right-
hand side of eqn [2] is the convergence of poleward
heat flux transported by planetarywaves (eddies). The
Eulerian mean vertical motion that balances the
poleward eddy heat flux can be eliminated by defining
a residual mean vertical velocity �wwn (eqn [3]).

�wwn ¼ �wwþ qðv0y0=y0zÞ
qy

½3�

Then eqn [2] can be rewritten in the form of eqn [4].

q�yy
qt

þ �wwn q�yy0
qz

¼ �QQ ½4�

Therefore, in the long-timemean, �wwn is directly related
to �QQ. A residual meanmeridional velocity, �vvn, can also
be defined (eqn [5]) that satisfies mass continuity with
�wwn.

�vvn ¼ �vv� 1

r0

qðr0v0y0=�yy0zÞ
qz

½5�

A residual mean meridional streamfunction, �wwn, can
be defined in analogous way to �ww (see eqn [1]). Figure
3A shows the residual mean meridional streamfunc-
tion for January. This shows a single cell per hemi-
sphere, with the dominant circulation from the tropics
into the Northern (winter) Hemisphere and a weak
circulation below 20 km into the Southern (summer)
Hemisphere. At 20 km, the ascent rate in the tropics is
approximately 0.2mms� 1 (0.5 km per month), the
descent rate in the Northern Hemisphere is approxi-
mately 1mms� 1 (2.5 km per month). Figure 3B
shows the residual mean meridional streamfunction
for July. Now the dominant circulation is into
the Southern Hemisphere. However, the circulation
in the Northern Hemisphere winter is stronger than in
the Southern Hemisphere winter because of the
stronger wave-driving in the Northern Hemisphere
winter. From Figure 3, the total poleward mass
flux above 20 km is 128 kgm�1 s� 1 across 301N in
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January compared with 84 kgm� 1 s�1 across 301 S in
July.

Lagrangian Circulation

The transformed Eulerian mean circulation gives the
picture of smooth advection from the tropics into
middle and high latitudes. However, this is the
Eulerian averaged motion, it does not indicate the
motion of individual air parcels whose trajectories are
chaotic because of displacements by waves. This is
illustrated by Figure 4, which shows trajectories of
four air parcels started in April 1996 on the Equator at
25 km at four different longitudes (these can be taken

as typical trajectories of four molecules of a complete-
ly inert gas through the stratosphere). The trajectories
are run for 2 years, with the first 6months colored red,
the second 6months colored green, the third 6months
colored blue, and last 6 months colored black. Hence
the red and blue portions of the trajectories are in the
Southern Hemisphere winter, while the green and
black portions are in theNorthernHemispherewinter.
All the air parcels ascend in the tropics during the first
6 months. Trajectory 1 (Figure 4A) then follows the
general shape of an upper branch of the residual mean
meridional circulation (as shown in Figure 3B);
trajectory 2 (Figure 4B) follows a lower branch of
the circulation. For both of these trajectories, system-
atic descent occurs only in the blue (Southern Hem-
isphere winter) part of the trajectory. In contrast,
trajectory 3 (Figure 4C) descends into the Northern
Hemisphere in the green part of the trajectory,
recirculates back into the tropics where it ascends,
before descending again into the Northern Hemi-
sphere in the black part of the trajectory. Trajectory 4
(Figure 4D) first descends in the Northern Hemi-
sphere, is advected through the tropics, and then
descends further in the Southern Hemisphere. Note
that meridional displacements of the air parcels
are greater in the extratropics than in the tropics
because of the presence of planetary waves in the
extratropics. These fast meridional displacements
are superimposed on the slow descent in the winter
hemispheres.

Transport of Long-Lived Chemical
Tracers

The mean meridional circulation and mixing from
breaking planetary waves strongly influences the
distribution of long-lived chemical tracers. This is
illustrated in Figure 5, which shows for October the
zonally averagedmixing ratio ofmethane asmeasured
by Halogen Occultation Experiment (HALOE) on the
Upper Atmosphere Research Satellite (UARS). The
mixing ratio surfaces have been tilted by the upward
and downward motion of the mean meridional,
circulation, with mixing ratio surfaces lifted in the
tropics and pushed down near the South Pole. But at
the same time, the quasi-horizontal mixing in the
Southern Hemisphere mid-latitudes from breaking
planetary waves has tended to homogenize the tracer
distribution, producing approximately horizontal
mixing ratio surfaces in this region.

The mean meridional circulation transports ozone
from the photochemical production region above
25 km into the lower stratosphere, where it accumu-
lates. The maximum in column ozone occurs in high
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latitudes in spring after the continual downwelling
into the winter hemisphere.

The ascent in the tropics by the mean meridional
circulation has been extensively documented by
HALOE measurements of water vapor. There is an
annual variation inwater vapormixing ratios entering
the stratosphere, with the driest air entering in
NorthernHemispherewinter when the tropical tropo-
pause is coldest. The upward propagation of the
annual variation in water by the mean meridional

circulation has been called the ‘tape recorder’ signal
(see Stratospheric Water Vapor).

Mean Age of Air

A further way to diagnose the transport circulation in
the middle atmosphere is by calculating the distribu-
tion ofmean age.Mean age is defined as the average of
the ‘age spectrum’, which is the distribution of transit
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times for air parcels to travel from the tropical
tropopause to a location in the stratosphere. Locations
near the tropical tropopause exhibit a sharply peaked
age spectra, indicating that most air has recently left
the tropopause. Locations at high latitudes have very
broad age spectra, indicating recirculation andmixing
of air parcels in the stratosphere (as indicated by the
trajectories in Figure 4C, D).

For an inert tracer that has a linearly increasing
source in the troposphere, the mean age in conditions
where the transport is in a steady state can be derived
from themixing ratio gðx; tÞ at a location x at time t as
the time lag since the tracer last showed the mixing
ratio in the troposphere. The mean age, GðxÞ (t in
years), is given by eqn [6], where a is the trend of the
mixing ratio (in years).

GðxÞ ¼ t � gðx; tÞ
a

½6�

Carbon dioxide and sulfur hexafluoride are both
nearly inert and have approximately linear trends
(once the seasonal cycle in carbon dioxide is removed).
Measurements of these tracers from aircraft and
balloon have been used to infer mean age in the
stratosphere. These measurements show that mean age
increases with height in the tropics and in the extra-
tropics. It might have been thought, given the sense of
the mean meridional circulation, that the oldest air in
the stratospherewould be at high latitudes in the lower
stratosphere. The fact that this is not the case indicates
that young air is mixed out of the tropics in the lower
stratosphere.

The distribution of mean age for October from a
model simulation is shown in Figure 6. The mean age
increases with height everywhere (except for a small
region at the South Pole). The maximum mean age is
over 7 years in polar regions of the upper stratosphere
and is youngest at low altitudes in the tropics.
Comparison against observations is a powerful test
of the transport characteristics of models because
mean age is not affected by chemistry (as is, for
example, methane) and both the mean meridional
circulation and quasi-horizontal mixing by breaking
planetary waves must be correctly simulated.

See also

Middle Atmosphere: Planetary Waves; Zonal Mean
Climatology. Ozone: Photochemistry of Ozone. Strato-
sphere–Troposphere Exchange: Global Aspects.
Stratospheric Water Vapor.
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Introduction

Themiddle atmosphere is the regionof the atmosphere
between approximately 10 and 100 km: above the
troposphere (dominated by convection and synoptic-
scale weather systems) and below the thermosphere
(where ionization and molecular diffusion become
important physical processes). This article discusses
aspects of the planetary-scale ‘climatological’ temper-
ature and circulation features of the middle atmos-
phere, i.e., those features that vary slowly frommonth
tomonth during the seasonal cycle and occur regularly
each year. The predominant climatological features
are most simply understood in terms of longitudinal
(or zonal) averages, and much of the analysis is
presented in terms of latitude–height diagrams of
zonal average statistics. While transient large-scale
departures from zonal symmetry (‘planetary waves’)
are an important aspect of the winter stratosphere,
these are discussed mainly in terms of their calculated
net influence on the zonal mean flow. The focus here is
on structure and seasonality in themiddle atmosphere,
based on long records (420 years) of observations,
and on understanding the large-scale balances be-
tween temperatures, winds, and the global-scale
forcing mechanisms. Important inferences about
mechanisms controlling middle atmosphere circula-
tion can be gained from recognizing the large differ-
ences in climatological structure between the
Northern and Southern hemispheres, and these inter-
hemispheric differences are highlighted here. The
tropical middle atmosphere exhibits behavior distinc-
tive from that at midlatitudes, and a brief overview of
tropical climatology is discussed separately.

Atmospheric Vertical Structure

The Earth’s atmosphere is conventionally divided into
layers on the basis of the vertical structure of the

temperature field (Figure 1). The lowest layer of the
atmosphere, termed the troposphere, exhibits decreas-
ing temperature with height up to a minimum at the
tropopause (near 8–16 km, depending on latitude).
The middle atmosphere is the region between approx-
imately 10 and 100 km, consisting of the stratosphere
(where temperature increases with height, mainly
owing to ozone absorption of solar ultraviolet radia-
tion), and the mesosphere (where temperature
decreases with height). The temperature maximum
near 50 km is termed the stratopause, and the mini-
mum near 85 km is the mesopause. The temperature
increases rapidly with height above 100 km in the
thermosphere; in contrast to lower altitudes, molecu-
lar diffusion, ionization, and ion-drag are important in
the thermosphere, so important physical processes are
fundamentally different aboveB100 km. The density
of the atmosphere decreases exponentially with height
(with an approximate 7 kme-folding scale), so that the
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middle atmosphere contains only B10% of the total
mass of the atmosphere (with only 0.1% above the
stratopause).

Observations

Observations of the middle atmosphere are derived
from balloon or rocket measurements, ground-based
remote sensing (lidar or radar techniques), and satel-
lite remote sensing. Routine balloon observations of
the lower-to-middle stratosphere have been made
since the late 1950s, with data mostly over land areas
of the Northern Hemisphere. Global temperature
measurements of the stratosphere have been available
since B1979 from a series of operational meteoro-
logical satellites. Shorter records of middle atmos-
phere wind and constituent measurements are
available from research satellites, particularly data
from the NASA Upper Atmosphere Research Satellite
(UARS) (1991–2002).Globalmeteorological analyses
now routinely extend from the surface into the middle
stratosphere, optimally combining balloon and satel-
litemeasurementswith numerical forecasts to produce
daily analyses of winds and temperatures at strato-
spheric levels. Daily observations at mesospheric
levels (450km) are not routinely available at present.
The climatological data shown here are from a variety
of sources, but for themost part span the time frame of
the 1990s (UARS period).

Zonally Averaged Equations of Motion

A simplified perspective of the middle atmosphere
general circulation is provided by examining the
seasonal variation of the longitudinally (or zonally)
averaged flow and the balance of terms in the
corresponding governing equations of motion. It is
straightforward to separate the governing equations
(for momentum, thermodynamic energy, and mass
conservation) into zonal mean and eddy components,
and a useful form of the equations is provided by
the quasi-geostrophic transformed Eulerian-mean
eqns [1]–[3].

q�uu
qt

� 2O sin fvn ¼ �GG ½1�

q�TT
qt

þwn
HN2

R

� �
¼ �QQ ½2�

1

a cos f
q
qf

ðvn cos fÞ þ 1

r
q
qz

ðrwnÞ ¼ 0 ½3�

Here �uu and �TT are the zonal mean wind and temper-
ature fields, and ðvn;wnÞ are components of the mean
circulation in the latitude–height plane. The latitude–

height coordinates are denoted by (f; z), r is the
background atmospheric density (proportional to
e�z=H), H is an atmospheric scale height (7 km), O is
the Earth’s angular velocity (7.3� 10�5 rad s�1), a is
the radius of the Earth (6.37� 106m), R the gas
constant for dry air (287 J kg�1 K� 1), and N is the
buoyancy frequency. Changes in the zonal mean flow
are driven by eddy forcing ( �GG) of the zonal (or angular)
momentum, together with radiative forcing ( �QQ) of the
thermodynamic field. The zonalmeanmomentumand
thermodynamic fields are coupled by geostrophic
thermal wind balance (eqn [4]).

2O sin f
q�uu
qz

þ R

H

1

a

q�TT
qf

¼ 0 ½4�

The meridional circulation ðvn;wnÞ is driven by the �GG
and �QQ forcing terms, and acts to redistribute their
effects nonlocally in a manner that maintains thermal
wind balance.

The wave forcing term ( �GG) is often partitioned into
components associated with large-scale waves (which
are resolved in meteorological analyses), and compo-
nents attributable to smaller or unresolved scales (in
particular, gravity waves). While the forcing from
large-scale waves can be estimated directly from
stratospheric analyses, the global climatology of
gravity wave forcing is poorly quantified at present.
The amplitude of gravity waves grows exponentially
with height (owing to decreasing atmospheric den-
sity), and nonlinear effects at high altitudes (due to
convective or dynamic instabilities) cause a substantial
forcing to the background flow. Numerical models
suggest that gravity wave forcing is a dominant effect
in the mesosphere, and also probably important in the
lower stratosphere.

Observed Structure and Seasonality

Wind and Temperature

The seasonal variation of zonal mean temperature
and wind fields are shown in Figures 2 and 3. The
stratospheric circulation is characterized by a cold
pole and strong westerly (from west to east) winds in
the winter hemisphere. This cyclonic circulation is
referred to as the stratospheric polar vortex, and the
wind maximum is known as the polar night jet. The
polar temperatures are substantially colder and the jet
is more intense during Southern Hemisphere winter.
The autumn and winter westerly jets extend through-
out the mesosphere, exhibiting an equatorward tilt
with height. The seasonal sequence shows that the
polar night jet forms initially in the upper stratosphere
and mesosphere, and descends with time.
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The summer hemisphere circulation is characterized
by a reversed equator-to-pole temperature gradient
and easterly winds. These easterlies span the entire
stratosphere and mesosphere, with the jet maximum
tilting poleward with increasing altitude. There is an
overall symmetry between the strength of the North-
ern Hemisphere and Southern Hemisphere summer
easterlies, except near the tropical stratopause where
the January jet is stronger than that in July (this is
related to the tropical semiannual oscillation, dis-
cussed below).

Heating Rates and Meridional Circulation

Radiative heating and cooling variations provide a
first-order driver of the stratospheric circulation and
its seasonal variation. Heating of the middle atmos-
phere is due mainly to ozone absorption of solar
ultraviolet radiation, while infrared cooling is due to
emission by carbon dioxide, ozone, and water vapor
molecules. The latitudinal distribution of the solar

heating is strongly dependent on season (maximum in
the summer hemisphere), whereas the infrared cooling
is mostly dependent on temperature and has less
latitudinal structure. The net radiative forcing (heat-
ing plus cooling: the �QQ in eqn [2]) is thus a strong
function of latitude during solstice seasons (Figure 4),
with heating in the summer and cooling in the winter
hemisphere.

The mean meridional circulation ðvn; wnÞ can be
derived from the net radiative heating rates using the
thermodynamic balance (eqn [2]) coupled with mass
continuity (eqn [3]). Climatological estimates of the
circulation for January and July are shown in Figure 5.
Mean upward motion is observed in tropical latitudes
throughout the year, with strong flow toward the
winter hemisphere and sinking over the winter polar
regions. This overturning circulation is referred to as
the Brewer–Dobson circulation, and the strong annual
cycle seen in Figure 5 plays a primary role in mass
and constituent transport in the middle atmo-
sphere. In addition to the large seasonal cycle, the
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Brewer–Dobson circulation is somewhat stronger
duringNorthernHemispherewinter; note the stronger
downward polar flow in January compared to July in
Figure 5. This asymmetry is due to interhemispheric
differences in the strength of tropospheric planetary
wave forcing in midlatitudes.

Large-scale Wave Forcing

The rectified effect of large-scale waves that propagate
from the lower atmosphere is a primary mechanism
for forcing the middle atmosphere circulation, and
observed wave characteristics explain many of the
Northern Hemisphere–Southern Hemisphere asym-
metries discussed above. Note that while the global
radiative heating acts mainly as a restorative force
(toward radiative equilibrium), wave driving acts in
the opposite direction and tends to drive the middle
atmosphere away from radiative equilibrium.
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Climatological estimates of wave forcing in the
troposphere and stratosphere for January and July are
shown in Figure 6. These are derived from daily
meteorological analyses that span 0 to 50 km and
involve covariance estimates of eddy heat and mo-
mentum fluxes. The vectors show the magnitude and
direction of planetary wave propagation in the
latitude–height plane, and contours are derived esti-
mates of wave forcing ( �GG in eqn [1]). Strong tropo-
spheric wave activity is observed in mid-latitudes
throughout the year, with more intense maxima in the
winter hemisphere. The wave statistics in Figure 6
show upward and equatorward propagation of wave
activity in the troposphere; this is a statistical signature
of traveling baroclinic waves (synoptic-scale weather
systems) that populate the troposphere. While the
majority of lower-atmosphere wave activity is con-

fined below the tropopause, some fraction is observed
to propagate vertically into the stratosphere, but only
in the winter hemisphere. This seasonal variation is
due to the fact that vertical propagation of planetary
(Rossby) waves occurs only for stratospheric westerly
winds; the summer easterlies effectively shield the
stratosphere from tropospheric forcing during sum-
mer. This effect produces a large annual cycle in wave
forcing of thewinter stratosphere. A further important
feature of the climatology is that the Northern
Hemisphere winter stratospheric wave activity is
substantially larger than that in the Southern Hemi-
sphere; this is primarily due to stronger orographic
and thermal stationary planetary wave forcing in the
Northern Hemisphere troposphere (stationary waves
are small in the Southern Hemisphere troposphere).
A consequence of the larger wave forcing in the
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Northern Hemisphere is that the Northern Hemi-
sphere stratospheric polar vortex is warmer and
weaker (and further from radiative equilibrium) than
that in the Southern Hemisphere; the observed North-
ern Hemisphere–Southern Hemisphere vortex asym-
metry is a direct result of this difference in wave
forcing. The stronger Northern Hemisphere wave
driving also forces a more intense Brewer–Dobson
circulation during Northern Hemisphere winter (see
Figure 5), and gives rise to a seasonal cycle in tropical
upwelling (stronger during Northern Hemisphere
winter).

Constituents and Transport

Important information on the transport and overall
flowofmass in themiddle atmosphere can be obtained
by analysis of long-lived chemical constituents. One
such constituent is methane, which is produced by
biotic activity in the troposphere, transported into the
stratosphere by the mean upward circulation in the
tropics and chemically destroyed above 35 km. The
photochemical lifetime in the upper stratosphere is on
the order of months, so that the overall distribution is
determined mainly by the circulation. January and
July distributions of stratospheric methane derived
from satellite measurements are shown in Figure 7.
The superimposed vectors represent the correspond-
ingmeanmeridional circulation for eachmonth, taken
from Figure 5. High values of methane are observed in
the tropical lower stratosphere, resulting from the
upward transport of air recently in the troposphere
(with methane volume mixing ratios of B1.7 ppm).
Relatively high mixing ratios are observed in the
tropics throughout the stratosphere, consistent with
the derived upward tropical circulation (and demon-

strating a degree of dynamical isolation of the tropics
from mid-latitudes). Note that the tropical mixing
ratio maximum is displaced into the summer subtrop-
ics in the upper stratosphere, consistent with the
seasonally varying upward circulation. Lower meth-
ane mixing ratios are observed in the extratropics,
resulting from the downward transport of ‘older’
photochemically aged air. This is particularly evident
in polar winter latitudes, where the polar vortex
inhibits meridional transports and effectively isolates
polar regions (particularly for the more intense
SouthernHemisphere vortex). The overall consistency
of constituent and derived circulation fields promotes
confidence in details of the circulation statistics.

Tropical Climatology

The observed global annual cycle in temperature
and mean zonal winds (Figures 2 and 3) is roughly
antisymmetric with respect to the Equator, and the
annual harmonic has relatively small amplitude in the
tropics. Instead, in the equatorial middle atmosphere
above 35 km the seasonal variation is characterized
mainly by a semiannual oscillation (SAO) of the zonal
mean wind and temperature fields. Below 35 km, the
seasonal variation is small, and variability is domi-
nated by a long-termoscillation that is not directly tied
to the seasonal cycle. This oscillation has an irregular
period slightly longer than 2 years (averaging B28
months), and is called the quasi-biennial oscillation
(QBO). Figure 8 shows the tropical zonal wind
variability during 1992–96, when direct measure-
ments of mesospheric winds were available from the
UARS satellite. Although both the SAO and QBO are
discussed in separate Encyclopedia articles, we include
here a brief summary of observed characteristics.
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The Semiannual Oscillation (SAO)

The SAO in equatorial zonal wind is evident in
Figure 8 as a regular, twice-yearly reversal in the
wind direction near the stratopause (B50 km). There
is also an SAO near themesopause (B80 km), which is
out of phase with the stratopause SAO. A relative
minimum in amplitude occurs near B65km, but the
SAO phase can be traced downward continuously
over B80–40 km. Harmonic analysis shows the SAO
to be an equatorially centered phenomena with
latitudinal extend of 7301, but there is a strong
coupling to the extratropical annual cycle that ob-
scures this tropical symmetry for monthly ‘snapshots’
(see Figure 3). One feature of the stratopause SAO is
that the amplitude during the first half of the calendar
year is typically larger than that during the secondhalf.
This asymmetry is linked to the stronger extratropical
planetary wave forcing and Brewer–Dobson circula-
tion during Northern Hemisphere winter discussed
above.

An intriguing aspect of the SAO (and QBO)
winds is the existence of westerly winds at the
Equator, which have greater angular momentum
than that of the rotating Earth. This ‘superrotation’
cannot be explained by direct thermal forcing or
symmetric circulations, but must arise from the
rectified effects of wave forcing. Extensive numerical
modeling of the SAO suggests it is forced by
momentum transport associated with vertically
propagating waves generated in the tropical lower
atmosphere;wave interactionswith themeanflowand
coupling with the strong extratropical annual
cycle lead to the seasonally phase-locked behavior of
the SAO.

The Quasi-Biennial Oscillation (QBO)

The QBO dominates the variability of the equatorial
stratosphere over altitudes of B16–40 km, and is
evident in Figure 8 as alternating easterly andwesterly
wind regimes of magnitude � 30 to 115m s� 1, with
an approximate 2-year period. The period of theQBO
in the available observational record (since about
1953) varies between B2–3 years, with an average
period of B28 months. Downward propagation of
successive wind regimes occurs at a rate ofB1km per
month; the westerly (positive) winds descend more
rapidly andmore regularly than the easterlywinds (the
easterly phase can often ‘stall’ for several months, as
evident during late 1993 in Figure 8). The QBO is
weakly linked to the seasonal cycle in that the onset of
QBO westerlies in the upper stratosphere is tied to
descending westerly phases of the stratopause SAO,
and also transitions in the lower stratosphere tend to
occur primarily during May–July. The QBO is equa-
torially centered, but has amuch narrower meridional
scale (about7151) than the SAO. TheQBO is also the
dominant signal in temperature in the tropical lower
stratosphere, and modulates the strength of the
Brewer–Dobson circulation and trace constituents in
the tropical stratosphere. Although the dynamical
QBO is primarily a tropical phenomenon, it affects the
middle atmosphere circulation on a global scale, with
substantialQBO signals observed inmid-latitudes and
polar regions of both hemispheres. This is due to the
modulation of extratropical planetary wave propaga-
tion by the alternating regimes of tropical easterly and
westerly winds. Changes in wave propagation then
affect the pattern of wave dissipation, and hence wave
forcing of the global Brewer–Dobson circulation.
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Like the SAO, the theoretical understanding of the
QBO is that it is forced by momentum transfer by
vertically propagating waves forced in the lower
atmosphere, interacting with the mean flow. The
dynamical theory of the QBO is explained in detail
elsewhere.

See also

Middle Atmosphere: Planetary Waves; Polar
Vortex;Quasi-Biennial Oscillation; Semiannual Oscillation.

Quasi-geostrophic Theory. Wave Mean-Flow
Interaction.
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Monsoon derives from the Arabic word ‘mausam’,
meaning season, and in its broadest definition describes
those climates that are seasonally arid. As shown in
Figure 1, many regions of the tropics and subtropics
experience a rainy summer season and a dry winter
season, although regions close to the Equator can often
experience two rainy seasons; e.g., equatorial east
Africa with its ‘long’ (March–May) and ‘short’ (Octo-
ber–December) rains. The main driver of this marked
seasonality in rainfall is the change in the distributionof
surface heating between winter and summer, primarily
associated with seasonal variations in the position of
the sun. Because of this close relationshipwith the solar
seasonal cycle, the start of the rainy season often begins
with remarkable regularity each year.

Although Figure 1 shows that many regions are
seasonally arid, the more precise definition of a
monsoon climate, as proposed by Ramage, identifies
South Asia, Australia, and Africa as having distinct
monsoons. Ramage’s criteria for a monsoon to exist
are as follows:

1. Prevailing wind direction shifts by at least 1201
between January and July.

2. Prevailing wind direction persists for at least 40%
of the time in January and July.

3. Mean wind exceeds 3m s�1 in either month.
4. Fewer than one cyclone–anticyclone alternation

occurs every 2 years in eithermonth in a 51 latitude–
longitude rectangle.

These criteria essentially demand that a monsoon be
characterized by a wind regime that is steady, sus-
tained and therefore inherently driven by the season-
ally evolving boundary conditions, such as land or
ocean surface temperatures. It excludes most extra-
tropical regions that are characterized by synoptic
weather systems with alternating cyclonic–anti-
cyclonic circulations.
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Figure 1 Mean precipitation distributions for northern winter (January–February; upper panel) and northern summer (July–August;

lower panel) at the height of the monsoon season (units: mmday�1). (Data source: Global Precipitation Climatology

Project.)
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Figure2 Meanwinds at 925hPa for northernwinter (January–February; upper panel) and northern summer (July–August; lower panel)

at the height of the monsoon season (units: ms�1). (Data source: Reanalyses from European Centre for Medium Range Weather

Forecasts for 1979–93.)
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Based on these criteria, Figure 2 shows that this
major reversal in the seasonalwind regimes only occurs
over (1) India and South-East Asia, (2) northern
Australia, and (3) West and central Africa. These three
regions constitute the major monsoons of the global
circulation. Although the Americas and South Africa
also experience a strong seasonal cycle in rainfall, the
prevailingwind direction is largely unchanged between
winter and summer (Figure 2), and so strictly speaking
cannot be classified as monsoon regions. The name
‘monsoon’ is often used to denote the rainy season, but
in fact can relate to both extremes of the seasonal cycle.
The termwinter monsoon is used in South-East Asia to
describe the dry, north-easterly winds that prevail over
the northern IndianOcean and South China Sea during
boreal winter (Figure 2, upper panel).

For a monsoon to be established, a thermal contrast
between the land and ocean must exist. This occurs
when large land masses, such as Asia, Africa, and
Australia, heat up rapidly during the spring and
summer (Figure 3). Since the thermal inertia of the
land is much less than the surrounding oceans, the
continents respondmuch more rapidly to the seasonal
cycle in solar heating, setting up large temperature
gradients. These hot land masses draw humid air in
from the surrounding oceans, like amassive sea breeze

(Figure 2). As themoisture-laden air reaches the warm
land, it rises, the moisture condenses, and the rainy
season begins. By contrast, in winter the land becomes
much cooler than the surrounding oceans and cold,
dry air then flows from the land out over the ocean.
Often the two monsoons, winter and summer, are
closely linked with the winter monsoon of one
hemisphere feeding the summermonsoon of the other.
For example, in the Asian–Australian monsoon sys-
tem, the dry air from the winter continent flows across
the Equator toward the summer hemisphere (Figure
2), picking up moisture from the warm oceans and
feeding themonsoon rains over the summer continent.

A critical factor that determines the generation of a
monsoon is the geographical orientation of the oceans
and continents. The strongest monsoons occur where
there is a pronounced north–south distribution in land
and ocean that can take advantage of the north–south
progression of the solar seasonal cycle. As Figure 3
shows, the largest land–sea temperature contrasts
occur over the seasonally arid regions ofNorth Africa,
India, and Australia, during the months preceding the
summer monsoon. These very warm temperatures
lead to the development of thermal lowswhich serve to
pull in air from surrounding regions. Once the
monsoon is established and the rains begin, the land
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Figure 3 Surface temperatures for early austral summer (November–December; upper panel) and boreal summer (May–June; lower

panel) at the onset of themonsoon (units: 1C). (Data source:Reanalyses fromEuropeanCentre forMediumRangeWeather Forecasts for

1979–93.)
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surface temperatures tend to cool due to the increased
soil wetness, but the atmospheric warming from latent
heat release associatedwith themonsoon rains (Figure
1)maintains the low-pressure regions (Figure 4) which
continue to drive the monsoon winds.

Although this classic description of monsoons
provides the fundamental basis for their existence,
there are important regional differences associated
with the shape of continents, orography (particularly
mountain barriers), and ocean temperatures. For the
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Figure 4 Mean sea-level pressure for northern winter (January–February; upper panel) and northern summer (July–August; lower

panel) at the height of the monsoon season (units: hPa). (Data source: Reanalyses from European Centre for Medium Range Weather

Forecasts for 1979–93.)
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Figure 5 Mean temperature between 200 and 500hPa for northern winter (January–February; upper panel) and northern summer

(July–August; lower panel) at the height of the monsoon season (units: K). (Data source: Reanalyses from European Centre for Medium

Range Weather Forecasts for 1979–93.)
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Asian summermonsoon, the Tibetan plateau acts as an
elevated heat source which clearly influences the
establishment and maintenance of the monsoon circu-
lation. The seasonal heating of the plateau leads to a
reversal of the meridional temperature gradient which
extends throughout the troposphere (Figure 5). This
reversal is instrumental in triggering the large-scale
seasonal change in the circulation over East Asia, with
the poleward transition of the subtropical jet and the
onset of the monsoon over the Indian subcontinent.

The importance of this deep warm core over South
Asia is demonstrated in Figure 6, which shows the
winds in the free troposphere at 700 hPa. These winds
can be compared with the boundary layer winds at
925 hPa in Figure 2. It is only for the domain of the
Asian monsoon that the seasonal reversal of the winds
is seen extending above the boundary layer into the
free troposphere. This is important because it is only
when there is advection of moist air through a
substantial depth of the troposphere that sustained
monsoon rainfall is achieved.

The significance of the Tibetan plateau is further
demonstrated when a comparison is made between the
summer monsoons of South Asia, northern Australia,
and West Africa. In the absence of an orographic heat
source, the seasonal reversal of the meridional temper-
ature gradient through the depth of the troposphere is
barely evident over Australia and West Africa. This is

despite the very substantial surface warming of Aus-
tralia andNorthAfrica shown in Figure 3. The effect of
the confinement of the seasonal reversal in the merid-
ional temperature gradient to the near-surface layers
over Africa and Australia can be seen in the winds at
700hPa (Figure 6). Unlike South-East Asia, there is no
seasonal reversal of thewinds in the free troposphere so
that a deep moist layer is not established in the same
way as over South Asia. Consequently, the monsoon
rainsofWestAfricaandAustraliaarenotas intense,nor
do they extend as far polewards.

Monsoons are crucial elements of the global circu-
lation and monsoon rainfall provides the water needed
by over 60%of the world’s population. Understanding
andpredictinghowmonsoonsmay change fromyear to
year, and the result of globalwarming are key scientific,
economic and societal issues. The management of
water resources is a top priority for monsoon-affected
countries to enable the population to survive from one
rainy season to the next. Food production in seasonally
arid areas is also inherently risky. By the end of the dry
season, the soil is parched and planting cannot begin
until the rains arrive. A late or weak monsoon can lead
to a short or poor growing season and hence low yields.
Agricultural failure has a profound effect on the
economy ofmonsoon-affected countries, such as India,
where farming accounts for 30% of the gross domestic
product and 67% of the workforce.
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Figure6 Meanwinds at 700hPa for northernwinter (January–February; upper panel) and northern summer (July–August; lower panel)

at the height of the monsoon season (units: ms�1). (Data source: Reanalyses from European Centre for Medium Range Weather

Forecasts for 1979–93.)
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Elements of a Monsoon Circulation

A monsoon is a circulation system with certain well-
defined characteristics. During summer, lower tropo-
spheric winds flow toward heated continents away
from the colder oceanic regions of the winter hemi-
sphere. In the upper troposphere the flow is reversed,
with flow from the summer to the winter hemisphere.
Precipitation generally occurs during summer, cen-
tered in time on either side of the summer solstice and
located over the heated continents and the adjacent
oceans and seas in the vicinity of a trough of low
pressure referred to as the ‘monsoon trough’. Most
summer rainfall is associated with synoptic distur-
bances that propagate through the region. However,
these disturbances are grouped in periods lasting from
10 to 30 days. Such envelopes of disturbed weather
and heavy rainfall are referred to as ‘active periods of
the monsoon’. The intervening periods of mini-
drought are referred to as ‘monsoon breaks’. The
location of the monsoon trough and axis of heavy
monsoon precipitation is generally well poleward of
the position of the oceanic intertropical convergence
zone (ITCZ), within which the majority of tropical
oceanic precipitation occurs. For example, the rainfall
associated with the South Asian monsoon falls at the
same latitudes as the great deserts of the planet.

Monsoon systems are associated with colocated
pairs of continents such as Asia and Australia, or
continents straddling the Equator such as north-west
and south-west Africa, and North and South America
defining, respectively, the Asian–Australian monsoon
system, the West African monsoon, and the American
monsoon. Each system is different in terms of intensity
and circulation characteristics. For example, the

northern arm of the American monsoon is a relatively
weak counterpart of the othermajormonsoon systems
and there does not appear to be a discernible cross-
equatorial component during the summer. In that
sense, the North and South American monsoons may
be thought of as almost separate entities. Rainfall that
occurs over the continents that span the Equator (e.g.,
equatorial Africa and South America, and Indonesia)
is not strictly monsoonal and possesses double rainfall
maxima occurring with the equinoxes. Monsoon
climates, on the other hand, possess a single solstitial
rainfall maximum, while solstices demark the dry
seasons for equatorial climates.

Basic Driving Mechanisms of the
Monsoon

It is helpful to consider first a simple prototype
geography that will allow us to identify the basic
elements of amonsoon system.The geographicalmodel
we adopt is an oceanic planet with a continental cap
extending from the subtropics to the pole in one
hemisphere. After establishing the important processes
that drive the monsoon for this simple geography, we
will return to the consideration of local influences.

Monsoons arise from the development of cross-
equatorial pressure gradients produced ormodified by
the following physical properties of, or processes
associated with, the land–ocean–atmosphere system:
differential heating of land and ocean produced by the
different heat capacity of land and water; the different
manner in which heat is transferred vertically and
stored in the ocean and the land; modification of
differential heating by moist processes; the generation
of meridional pressure-gradient forces resulting from
the differential heating; and the meridional transport
of heat in the ocean by dynamical processes. Each of
these processes and properties has to be considered
relative to the rotation of the planet, and the influence
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of local effects such as the geography of the ocean and
the land masses, and regional topography.

Differential Heating

Heat capacity differences There is roughly a fac-
tor of 4 difference between the specific heat of
water (4218 J kg�1K� 1) and dry land (roughly
1300 J kg� 1K�1). Wet soil may have a heat capacity
30% higher than dry soil. For some net heating rate,
the temperature of a mass of dry land the increment in
temperature will be nearly four times greater than that
of a similar mass of water. In the late seventeenth
century, Halley (of Halley’s comet) was the first to
suggest that monsoon circulations were driven by
heating gradients produced by the heat capacity
differences between the land and the ocean and
used his theory to explain aspects of the West
African and South Asian surface monsoon winds
that had been reported by explorers and traders. He
also understood the role of the annual cycle of solar
heating that produced the strong seasonality of the
monsoon and the reversal of the circulation during the
winter.

Halley haddefined a basic factor that determines the
existence of monsoons. However, to understand how
different heat capacities produce motion and why the
Halley’s theory has to be expanded, it is necessary to
delve deeper into the physics of the atmosphere and the
ocean. If the heat flux into the surface layer is F
(Wm� 2) and if there is no heat flux out of the bottom
of the layer at some depth z ¼ z1 (m), the heating rate
of the layerwill be determinedby the fluxdivergence in
the layer (eqn [1]).

dT

dt
¼ � 1

rCp

dF

dz
¼ 1

rCp

Fz¼0

Dz
½1�

In eqn [1], Fz¼0 is the net flux at the surface and Dz is
the thickness of the layer. The surface energy balance is
given by eqn [2], where Inet is the net radiation at the
surface given by the sum of the net solar radiation, the
upwelling infrared radiation, and the re-radiation
from the atmosphere (the greenhouse effect), respec-
tively.

Fz¼0 ¼ Inet �Hs �He; ½2�
Inet is given by eqn [3], where S is the solar flux at the
surface, a is the system albedo, e is the emissivity of the
atmosphere, Tg and Ta are the surface and atmospher-
ic temperatures;Hs andHe are the sensible and latent
turbulent heat transports away for the surface as
described in Figure 1.

Inet ¼ Sð1� aÞ þ esT4
g � sT4

a ½3�

Fromeqn [1] it is apparent that the heating rate of a slab
will depend on the heat capacity the layer, its thickness,
and the net energy flux into or out of the layer at the
surface. The temperature of a motionless oceanic slab
(i.e., no vertical mixing or horizontal advection) is
determined by the net heating at the surface. South of
the Equator, in the winter hemisphere, the slab ocean
would cool by a combination of evaporative cooling
andnegative net radiational heating.To the northof the
Equator, the oceanwould heat if net radiational heating
exceeded the evaporative cooling. During summer the
land heats more rapidly than the adjacent ocean
because of its smaller specific heat and shallow Dz.
These factors easily compensate for the fact that dry
landhas a larger albedo than the ocean (20–40%versus
about 10%). In the winter the land surface will cool
muchmorequickly than the ocean simply because there
is little available heat in the subsurface that can bemade
available to heat the surface on seasonal time scales
because of the slowness of the diffusive processes.
Given that the sensible heat exchange between the land
surface and theatmospheredepends toa largedegreeon
their temperature difference, the atmospheric column
over the land will be warmer than over the ocean.

In the simplemodel described above, the differences
between the heating rates of land and the ocean reside
in their different heat capacities and densities, and the
depth Dz of the slab that is defined as the depth over
which the heating is spread. Over land, the Dz is very
small because of the opacity of the soil to radiation,
and the depth of the ‘active’ layer in which there is a
discernible signal of the annual cycle is only ameter or
so. This depth is constrained by the inefficiency of
conductive heat transfer. If the ocean is assumed to be
immobile, then its effective depth over which heating
is spreadmay be defined as the e-folding depth of solar
radiation. Here radiative transfer and the opacity of
the ocean determine the effective depth. Observations
suggest that the solar radiation e-folding depth is
about 10m. The ocean temperature variationwill also
lag the surface heating. This may be seen by setting the
surface flux, Fðz ¼ 0Þ in eqn [1], proportional to
sinðotÞ. In this case the temperature variation will be
proportional to � cosðotÞ, therefore lagging the forc-
ing by a quarter period.

In summary, when the ocean is assumed to be
immobile, an annual cycle of ocean–land temperature
difference and meridional pressure-gradient force is
achieved. Substitution of numbers into eqns [1]–[3]
shows that the variability of the ocean temperature is
much larger than observed as long as a depth of about
10m is used. More realistic amplitude can be achieved
by ‘tuning’ the depth of the active ocean layer to be
considerably greater. It turns out there are goodphysical
reasons why we may expect a deeper active layer.

MONSOON / Dynamical Theory 1371



I n
et

I n
et

I n
et M
ol

ec
ul

ar
di

ffu
si

on

D
ry

M
oi

st

M
ol

ec
ul

ar
di

ffu
si

on

e
-f

ol
di

ng
 d

ep
th0

5 
m

10
 m

10
00

 m

50
0 

m

Depth (m)Height (m)

10
20

30
40

 T
(°

C
)

Dry ground

Moist ground

T
ur

bu
le

nt
tr

an
sf

er
F

S
F

L

F
S

F
L

F
S

D
ry

M
oi

st

M
ol

ec
ul

ar
di

ffu
si

on

e-
fo

ld
in

g 
de

pt
h0

5 
m

10
 m

10
00

 m

50
0 

m

Depth (m)Height (m)

10
20

30
40

Moist ground

I n
et

I n
et

F
L

F
S

Drying ground

M
ol

ec
ul

ar
di

ffu
si

on

(i)
 S

pr
in

g 
to

 s
um

m
er

(ii
) 

F
al

l t
o 

w
in

te
r

I

II

III
IV

I

II

III
IV

IV
III

I
IV

0

50
 m

10
0 

m

10
00

 m

50
0 

m 0

50
 m

10
0 

m

10
00

 m

50
0 

m

Depth (m)Height (m)

10
20

30
40

Depth (m)Height (m)

10
20

30
40

 

(i)
 S

pr
in

g 
to

 s
um

m
er

(ii
) 

F
al

l t
o 

w
in

te
r

S
ur

fa
ce

w
in

d

W
in

d 
m

ix
in

g

F
L

F
S

I n
et S

ur
fa

ce
w

in
d

e
-f

ol
di

ng
 d

ep
th

N
et

 h
ea

t
flu

x 
(s

to
ra

ge
in

cr
ea

se
)

N
et

 h
ea

t
flu

x 
(s

to
ra

ge
de

cr
ea

se
)

S
ur

fa
ce

co
ol

in
g

S
ur

fa
ce

he
at

in
g

I
II

II
I

T
(°

C
)

T
(°

C
)

T
(°

C
)

(A
)

(B
)

 L
A

N
D

 O
C

E
A

N

F
ig
u
re

1
S
ch

e
m
a
ti
c
d
ia
g
ra
m
o
ft
h
e
d
o
m
in
a
n
tp
h
y
s
ic
a
lp
ro
c
e
ss
e
s
d
e
te
rm

in
in
g
th
e
s
u
rf
a
ce

te
m
p
e
ra
tu
re

o
v
e
r
(A
)
la
n
d
,a
n
d
(B
)
th
e
o
c
e
a
n
fo
r
th
e
tr
a
n
s
it
io
n
s
fr
o
m
(i
)
s
p
ri
n
g
to
s
u
m
m
e
r
a
n
d
(i
i)
fa
ll
to

w
in
te
r.
T
h
e
ra
d
ia
ti
v
e
a
n
d
tu
rb
u
le
n
t
fl
u
x
e
s
a
re

la
b
e
le
d
re
la
ti
v
e
to

e
q
n
s
[1
]–
[3
].
R
e
la
ti
v
e
e
-f
o
ld
in
g
d
e
p
th
s
o
f
d
if
fu
s
io
n
,
s
o
la
r
ra
d
ia
ti
o
n
p
e
n
e
tr
a
ti
o
n
,
a
n
d
tu
rb
u
le
n
t
m
ix
in
g
a
re

s
h
o
w
n
a
s
h
o
ri
zo

n
ta
l

d
a
s
h
e
d
lin
e
s
in
e
a
c
h
s
e
ct
io
n
.T

h
e
n
e
ti
n
c
o
m
in
g
ra
d
ia
ti
o
n
is
a
tt
e
n
u
a
te
d
in
th
e
fi
rs
tf
e
w
m
ill
im

e
te
rs
o
fs
o
il,
fr
o
m
w
h
e
re

it
is
tr
a
n
s
fe
rr
e
d
b
y
m
o
le
c
u
la
rd

if
fu
s
io
n
fo
ra

fe
w
m
e
te
rs
.W

in
d
s
tr
e
s
s
a
tt
h
e
o
c
e
a
n

s
u
rf
a
ce

c
a
u
s
e
s
s
u
b
s
ta
n
ti
a
lt
ra
n
s
fe
rs

o
f
h
e
a
t
(u
p
w
a
rd

in
w
in
te
r,
d
o
w
n
w
a
rd

in
s
u
m
m
e
r)
b
e
tw
e
e
n
th
e
s
u
rf
a
ce

la
y
e
rs

a
n
d
th
e
s
u
b
s
u
rf
a
c
e
o
c
e
a
n
b
y
in
d
u
c
in
g
tu
rb
u
le
n
t
m
ix
in
g
.
S
u
c
c
e
s
s
iv
e
lo
w
e
r

tr
o
p
o
s
p
h
e
ri
c
te
m
p
e
ra
tu
re

p
ro
fi
le
s
a
re

a
ls
o
s
h
o
w
n
(m

a
rk
e
d
I,
II
,a

n
d
s
o
o
n
).
T
h
e
s
h
a
d
in
g
in
(A
(i
))
s
h
o
w
s
th
e
c
h
a
n
g
e
in
te
m
p
e
ra
tu
re

if
th
e
s
o
il
is
m
o
is
t.
T
h
e
s
h
a
d
in
g
in
(B
)
s
h
o
w
s
th
e
c
h
a
n
g
e
s
in
th
e

o
c
e
a
n
te
m
p
e
ra
tu
re

p
ro
fi
le
s
w
h
e
n
h
e
a
te
d
s
u
rf
a
c
e
w
a
te
r
m
o
v
e
s
d
o
w
n
w
a
rd

in
th
e
s
u
m
m
e
r
o
r
w
h
e
n
c
o
o
le
d
s
u
rf
a
ce

w
a
te
r
is
re
p
la
c
e
d
b
y
w
a
rm

e
r
s
u
b
s
u
rf
a
c
e
w
a
te
r.

1372 MONSOON / Dynamical Theory



Mixing and storage of heat So far, the fluid nature of
the oceanhas been ignored. In afluid,wind forcing and
gravitational instabilities formed by the cooling of the
surface layer may induce turbulence andmixing of the
surface and subsurface water. Wind stress also can
move a body of water horizontally, producing ocean
currents that can advect heat and mass from one place
in an ocean basin to another. The impact of lateral
transports will be considered later. Stable layers near
the surface can be produced by the freshening effect of
precipitation. These fresh layers may reduce the
impact of wind stirring. With these factors in mind,
we can return to the consideration of the heat balances
of the ocean and the land regions and the atmospheres
above. These processes are shown schematically in
Figure 1.

During the summer, when the net heating of the
ocean surface is positive, wind-induced turbulence
mixes the warm surface water downward. As long as
the net surface flux of energy into the ocean is positive,
wind mixing will increase the heat content (or heat
storage) of an ocean column. The mixing is very
effective and observations show that in the tropical
ocean a constant-temperaturemixed layermay extend
down below the surface to depths of 50–100m.
During winter, when the net surface heating is nega-
tive, the colder surface water (formed by the negative
heat balance at the surface) is mixed downward to be
replaced by warmer subsurface water that had been
mixed down into the ocean column during the
previous summer. As long as the surface energy
balance is negative, wind-induced turbulence will
decrease the total heat content (i.e., reduce heat
storage) in the ocean column. As turbulent mixing
occurs over a much deeper layer than the e-folding
depth of solar radiation, the heat absorbed in the
surface layer of the ocean is spread through a depth
greater than the e-folding penetration depth of solar
radiation. That is, Dz is larger and the overall sea
surface temperature (SST) changes are smaller in the
presence of turbulence than if the ocean were immo-
bile.

The impact of changes in heat storage on the ocean
temperature is twofold. First, it moderates the SST,
which in turnmodulates the temperature andmoisture
content of the air adjacent to the ocean surface.
Atmospheric turbulent mixing produced either
mechanically by wind stress or by buoyancy effects
extends the imprint of the SST into the troposphere.
Second, the mixing processes in the ocean column
produces the observed lags between the ocean tem-
perature and the solar cycle. Land surface temperature
tends to follow the solstices, although, because of
moist processes, the maximum land temperature
occurs before the onset of the summer rains.

The Generation of Monsoonal Pressure Gradient
Forces

To account for the observed reversal of the monsoon
circulationwith heightwe require a basic driving force
that changes inmagnitude or reverseswith height. The
only force available is the horizontal pressure-gradient
force. It is relatively simple to show that the horizontal
pressure-gradient force between the summer and
winter hemispheres may change with height and,
under certain circumstance, even reverse. Eliminating
density between the equation of state and the hydro-
static equation gives eqn [4].

qp
qz

¼ � g

R

p

T
½4�

In eqn [4], pðzÞ is the atmospheric pressure, g is the
acceleration due to gravity,R is the gas constant, andT
is the mean temperature of the atmospheric column.
Equation [4] states that the change of pressure with
height is inversely proportional to the mean temper-
ature of the column. Therefore, over the warm
summer continent, the pressure will decrease with
height at a lesser rate than over the cold ocean, as
shown inFigure 2. The relationship can be explored by
integration in the vertical through the thickness of a
slab of atmosphere between heights z ¼ 0 and z ¼ z1.
The difference in pressure D ln pðzÞ at height z ¼ z1
between thewarmand cold columns of Figure 2 can be
expressed as eqn [5], where Tc and Tw are the mean
temperatures of the atmospheric columns over the
heated land and the cooler ocean.

D ln pðz1Þ ¼ g

R
z1

1

Tc

� 1

Tw

� �
þ D ln pð0Þ ½5�

Here, D refers to the difference of a quantity between
the warm and cold columns along a constant height
surface. From eqn [5], the condition for
D ln pðz1Þ > 0, assuming that the surface pressure
difference between the warm and cold columns is zero
(i.e., D ln pð0Þ ¼ 0), is that Tw > Tc. In this case air
above the surface will be forced to flow from the
summer to the winter hemisphere, with mass conti-
nuity providing a lower tropospheric return flow from
the winter to the summer hemisphere.

However, in general, the surface pressure over the
winter subtropics is higher than the surface pressure
over the heated continent, perhaps by as much as
20 hPa. In fact, as the solar heating increases over the
continent, the surface pressure is observed to fall so
that D ln pð0Þ becomes increasingly negative (Figure
3). Thus the criterion Tw > Tc is not sufficient to
ensure that there will be a reversed upper tropospheric
pressure gradient and a return flow to the winter
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hemisphere. From eqn [5], a general condition for the
temperature difference for D ln pðz1Þ > 0 in the
presence of a surface pressure gradient can be found
(eqn [6]).

Tw >
gz1Tc

gz1 þ RD ln pð0ÞTc

½6�

These simple arguments suggest that there may be a
threshold in temperature difference between the win-
ter hemisphere and the summer hemisphere in the
presence of a surface pressure gradient, before a
reverse pressure gradient in the upper troposphere is
established. At that stage, pressure gradients through-
out the troposphere are conducive for the maintaint-
ence of a direct thermal circulation. This threshold in
mean tropospheric temperature gradient may be the
reason for the observed sudden onset of the monsoon
over South Asia in late May or early June, at which
time deep convection and heavy precipitation occur.

The post-monsoon onset circulation, in the absence
ofmoist processes, is shown in Figure 2A. If it assumed
that themonsoon is in steady state, the amount of heat
gained by surface heating must be balanced by heat
lost to space by radiative processes. For a given
stratification, the vertical extent of the dry monsoon is
determined by the input of heat at the lower boundary.
The longitudinal extent of the circulation is deter-
mined by the time it takes for a parcel to radiate away
excess heat gained at the continental surface. If
radiative processes were very efficient, the longitudi-
nal scale of the monsoon would be very small.
However, radiative processes are slow, with e-folding
dissipative time scales of about 20 days. Thus, the
parcel takes a considerable time to cool and a parcel in
the upper troposphere travels a considerable distance
while cooling.

Moist Processes and the Monsoon Solar Collector

So far, moist processes have been ignored except for
their implicit inclusion in surface evaporation. Moist
processes change the character of the monsoon by
moistening the land surface and being the agent of
strongmid-tropospheric heating through the release of
latent heat over the summer continent or adjacent
marginal seas.

The source for summer monsoon rainfall is water
evaporated from the ocean as air flows toward the
heated continent under the action of the pressure-
gradient forces discussed above. Figure 4 shows the
source regions of moisture for the monsoons. The
figure plots the vertically averagedmoisture transport,
Bq, defined as in eqn [7], where qðzÞ and ~VVðzÞ are the
specific humidity and the horizontal velocity vector,
respectively.

Bq ¼
Z 1

0

q~VVdz ½7�

Asmoisture tends to decrease exponentially above the
surface, the greatest contributions toBq come from the
surface boundary layer. Moisture accumulation zones
can be seen to the south of Asia extendingwell into the
winter hemisphere during the boreal summer (Figure
4A) and, to a lesser extent, to the north of Australia
during the boreal winter (Figure 4B). Even though
evaporation cools the surface of the ocean, the
boundary layer air flows across a gradient of increas-
ing SST due to the net positive radiation budget at low
latitudes. Consequently, the boundary layer air be-
comes warmer along its trajectory and, as the surface
saturated vapor pressure increases, the moisture con-
tent of the boundary is elevated.

One might imagine that the dry monsoon model
shown in Figure 2A is applicable to the monsoons
during spring. Between the spring equinox and the
summer solstice, the temperature of the land increases,
producing a low-level pressure gradient, causing a
steady advection of moist air toward the continent.
Eventually, sufficient water vapor will be imported
over the land so that rising motion will result in the
release of latent heat and an increase in temperature of
the continental atmospheric column, eventually pro-
ducing a reversed pressure gradient at higher levels.
The strengthening of the monsoon occurs with the
rapid development of the upper-tropospheric merid-
ional temperature gradient. The increase in columnar
temperature necessary to produce the reversal (see the
previous Section) is directly attributable to the release
of latent heat. At this point, the acceleration of the
monsoon is substantial. Surface winds that were
relatively weak prior to the onset of the monsoon
exceed 10m s� 1 at the surface when the monsoon is
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Figure 3 The mean annual cycle of sea-level pressure at 201N
and201Salong801E, representing themonsoon troughandSouth

Indian Ocean, respectively.
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established. Evaporation and increased ocean mixing
accompany the strengtheningwinds and the SSTof the
North Indian Ocean drops rapidly by 1–21C.

At the time of the year when large-scale precipita-
tion occurs, two very important transitions occur in
the monsoon. First, the dry land area becomes moist,
sometimes so wet that it adopts many of the charac-
teristics of a warm shallow ocean or lake (Figure 1).
Accompanying the surface moistening is a substantial
decrease of the surface land temperature. For example,
the dailymaximumsurface temperature ofNewDelhi,
India often exceeds 451C prior to the onset of the
monsoon, while during active rainy periods following
the monsoon onset the surface temperature maxima
are between 301C and 321C. At the same time, the
intensity of the monsoon increases substantially, with
both the surface and upper tropospheric winds
strengthening considerably.

It would seem that the simultaneous decrease in
surface temperature of the land and the cooling of the
adjacent ocean with the strengthening of themonsoon
would act as a negative feedback and that the
monsoon strength should decrease. However, the
stronger winds also cause a very large increase in the
amount of water vapor imported over the continental
regions. The enhanced convergence of water vapor
causes the release of latent heat to increase substan-
tially. Thus, once the monsoon strengthens, the
importance of the surface temperature gradient de-
creases and the overall driving of themonsoon is taken
over by the heating of the troposphere over the
continents through the release of latent heat. Also,
prior to precipitation, the depth of the dry circulation
is relatively shallow (Figure 2A). However, in the
moist monsoon, the circulation occupies the entire
troposphere as a result of the buoyant moist parcels
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Figure 4 Distribution of mean vertically integrated moisture transport from eqn [7] for the period (A) June–September and

(B) December–February. Viewed in the context of moisture transport, the Asian–Australian monsoon system appears in both (A) the

boreal summer and (B) the boreal winter as strong interhemispheric systems with moisture sources clearly defined in the winter

hemisphere. Both the African summer and winter monsoons are less clearly defined. Weak moisture fluxes into north-west Africa are

evident, for example, but the region is dominated by strong westwardmoisture fluxes associated with the TradeWind across the Atlantic.

Furthermore, the moisture fluxes associated with the North and South American monsoons appear restricted to their respective

hemispheres. Only the Asian–Australian monsoon possesses a truly interhemispheric solar collector.
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releasing their latent energy as they ascend to great
heights (Figure 2B). Furthermore, the vertical lapse
rate decreases,moving closer tomoist adiabatic. Thus,
even though the surface temperature over the land
decreases, the average tropospheric temperature in-
creases.

The monsoon may be thought of as a great solar
collector. The latent heat of condensation that is
released over the heated continents, and which drives
the established monsoon, is the summation of the
evaporation occurring at the surface of the ocean
between the winter hemisphere and the heated conti-
nents (Figure 4). As the evaporation results from a net
positive radiation excess at the ocean surface or from
the winds driven by the SST gradients, evaporation
may be thought of as the integration of the solar
heating across the ocean. Thus, the latent heating of
the atmosphere over the continents is the accumula-
tion of a large fraction of the solar energy incident over
the vast ocean fetch of the monsoon winds. However,
the effect of this solar heating is concentrated into
a relatively small region of summer hemisphere
continents and the adjacent seas where precipitation
occurs.

The vertical and longitudinal scales of the moist
monsoon are much larger than those of the dry
monsoon as may be seen by comparing Figures 2A
and 2B. With moist processes, there is a very large
amount of heat added to the system in the vigorous
moist ascent over the heated continents. This is heat
accumulated during the long trajectories over the
oceans: the solar collector effect. The input of energy is
far larger than in the dry monsoon and, as a result, the
amount of time required for the upper tropospheric
flow to radiate excess heat away is much longer. Thus,
the upper tropospheric pressure gradient ismaintained
over a much larger scale and the moist monsoon
acquires a correspondingly large longitudinal scale.

The Impact of Rotation

Halley was the first to understand the fundamental
role of land–sea differences in producing onshore
monsoon winds. Some 50 years, later in 1735,
Hadley published a paper that considered the
effects of the rotation of the planet and produced a
general theory for the Trade Wind regime and the
monsoons.

The monsoon model we have developed so far
defines a circulation system in which air parcels move
about under the action of body forces whose direction
and magnitude are determined by the distribution of
heating. In essence, we have added to Halley’s mon-
soon model the physics of moist processes and a more
realistic view of the ocean heat capacity. However, the

planet is rotating and the effects of rotation are
extremely important in the equatorial regions as the
Coriolis force (f ¼ 2O sin f) changes sign and the
gradient of the Coriolis force (b ¼ 2O ðcos fÞ=a) is a
maximum. As monsoon motion is cross-equatorial,
the dynamics of low-latitude phenomena become
very important. Here we restrict ourselves to the
discussion of two immediate effects of rotation on the
monsoon system: the general form of the flow under
the action of a constant cross-equatorial pressure
gradient on a rotating planet, and the forcing of
boundary layer mass and heat transports in the
upper ocean.

Impacts on the atmosphere The horizontal equation
ofmotion on a rotating platformmaybewritten as eqn
[8], where a (s� 1) is a dissipation coefficient. In the
boundary layer, a�1 is large and has an e-folding scale
of about 2 days.

dV

dt
¼ � 1

r
rp� f k3V� aV ½8�

Consider now a constant pressure gradient in the
lower troposphere extending from high pressure in the
wintertime subtropics to the low pressure over the
heated continent in the summer hemisphere. Without
rotation, steady flow will occur when the frictional
force (proportional to wind speed) balances the
pressure gradient force. From eqn [8] this balance
may be written as eqn [9], where v is the meridional
component of the velocity vector.

av ¼ 1

r
qp
qy

½9�

The resultant flow, which is purely meridional, is
depicted schematically in Figure 5A(i). With rotation,
steady flow comes about from a balance between the
Coriolis force (f k3V in eqn [8]), and the pressure
gradient force (qp=rqy). From eqn [8], the balance
may be expressed as in eqn [10]

f k3Vþ aV ¼ � 1

r
qp
qy

½10�

Between the high-pressure region and the Equator the
flow must cross the isobars, as shown in Figure 5A(ii)
because of the frictional force eventually adopting the
form given by eqn [9] at the Equator. At all latitudes in
this simple example, the flow is across the pressure
gradient, flowing from low to high pressure. The
resultant surface flow diverges out of the winter
hemisphere surface anticyclone, flows across the
Equator, and finally converges into the continental
low-pressure region over the heated continent. In the
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winter, when the polarity of the pressure systems is
reversed, the flow is a mirror image to the flow shown
in Figure 5A.

As discussed earlier, the flow in the upper tropo-
sphere is in the opposite meridional direction through
the action of a reversed pressure gradient force that
increases with height. Furthermore, compared to the
surface boundary layer, the dissipation coefficient (a)
is an order of magnitude smaller. The resulting flow is
closer to geostrophic than the surface boundary layer
flow but still cross-gradient as it spirals out of the
upper anticyclone and moves westward. The trajec-
tory that an upper-tropospheric air parcel takes is such

that it will move a much greater distance in the
longitudinal direction (compared to the surface flow)
before it crosses the Equator and eventually descends
into the winter hemisphere. The strong upper tropo-
spheric easterlies are referred to as the Easterly Jet that
extends from South Asia across East and Central
Africa and attains speeds of 40–50m s� 1. The extent
of the Easterly Jet can be seen in Figure 6A, which
shows the mean northern hemisphere 200 hPa flow.

The vertical variation of the geostrophic flow is
given by the thermal wind equation, which can be
obtained by differentiating eqn [10] in the vertical,
using the equation of state and neglecting frictional
effects. This gives eqn [11], where T is the mean
temperature of a layer.

qVg

qz
¼ � g

f T
=T�~kk ½11�

Thus if the mean temperature of a layer decreases
toward the poles, then the vertical shear will be
positive (e.g., lower tropospheric easterlies and upper
tropospheric westerlies) in either hemisphere. How-
ever, in the monsoon regions, the shear is negative
(lower level south-westerlies and upper level easter-
lies) so that temperature must increase towards the
pole. Figure 7 plots the mean global upper tropo-
spheric (500–200 hPa) temperature for the boreal
summer and winter. During the boreal summer, the
upper troposphere of South Asia/Tibetan Plateau
region is the warmest region on the planet. Impor-
tantly, themean temperature is451Cwarmer than the
Equator at the same longitude. During the boreal
winter, a weak mean upper tropospheric temperature
maximumexists in the vicinity ofNorthAustralia.The
anomaly is about 11C warmer than at the Equator.
This reversed temperature gradient is sufficient to
drive a weak upper tropospheric easterly jet stream
overNorthAustralia.Thermal ridgesmaybe seen over
other parts of the world (e.g., North America), but
nowhere else does the temperature gradient reverse
between the Equator and the pole except over South
Asia and North Australia.

The Easterly Jet produced by the reversed temper-
ature gradient has a pronounced effect on the North
African monsoon. Figure 6A shows maximum jet
speeds are attained over the central North Indian
Ocean. Over central and western Africa, the flow
decelerates in the exit region of the jet. The deceler-
ation of the jet stream is important as it produces a
secondary circulation over West Africa that is in the
opposite sense to the local monsoon direct circulation.
The circulation is produced in the following manner.
Consider a parcel flowing through the Easterly Jet in
geostrophic balance. From Figure 6A it is evident the
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parcel moves through the jet stream it will experience
first an increase in easterlywind speed (i.e., dug=dto0)
in the entrance region, where ug is the zonal compo-
nent of the geostrophic wind. In the exit region of the
jet, the easterly wind decreases in intensity (i.e.,
dug=dt > 0). The zonal momentum equation can be
written as eqn [12], where we have decomposed the
meridional velocity component into a geostrophic and
ageostrophic component (i.e., v ¼ vg þ va).

dug
dt

¼ fv� 1

r
qp
qx

¼ f ðvg þ vaÞ � 1

r
qp
qx

¼ fva ½12�

Thus, in the entrance region of the jet there must be a
southward displacement of the parcel. On leaving the
jet, the parcelmustmove northward. This ageostroph-
ic flow is shown in Figure 6B. Over Africa, the result is

the production of a secondary circulation made up of
the ageostrophic northerly flowwith descending air on
the poleward side of the jet stream and ascending air
on the equatorward side. This secondary circulation is
in opposition to the monsoon meridional circulation
that would have rising air over North Africa (Figure
6C). As a result, the secondary circulation restricts the
northward extension of monsoon rainfall over the
continent and may help explain why the West African
monsoon is restricted to the coastal belt and why
rainfall decreases so rapidly over the Sahel and the
Sahara. On the north side of the entrance region of the
Easterly Jet, the South Asian monsoon circulation is
enhanced by the secondary circulation. This enhance-
ment occurs in the Bay of Bengal region and perhaps
explains the existence of themost intense rainfall in the
Asian monsoon.
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It is paradoxical that the limitations on the pole-
ward extent of the African rainfall are the result of the
South Asian monsoon rainfall falling so far to the
north. Reasons for the anomalous latitudinal location
of the South Asian monsoon rainfall will be discussed
in the next section. These are the same reasons that
determine the longitudinal extent of the jet stream and
hence the limit of its effect on African rainfall.

Impacts on the ocean Rotational effects are very
important in the ocean and play a key role in
determining both the overall character of the annual
cycle of the monsoon and its interannual variability.
The heat balance of the ocean mixed layer may be
written as eqn [13].

Cw
dhT

dt
¼ Fz¼0 þ Fadv ½13�

Here h and T are the thickness and temperature of the
mixed layer, andFz¼0 is defined in eqn [2].Fadv refers to
the advection of heat in and out of the column.
Equation [9] allows for the horizontal advection of
heat by ocean currents. The depth of themixed layer is
determined, to a large degree, by wind-forced turbu-
lent mixing as discussed earlier.

Observations in the North Indian Ocean suggest
that the advective term may be important. In the
period between March and May, the average net
surface flux into the North Indian Ocean is
4100Wm�2. However, the SST increases by only
about 21C during this period compared to about 91C
that would be expected if Fadv ¼ 0. It is important to
understand the reason for this SST modulation, as the
monsoonwould be very different if the temperature of
the North Indian Ocean were much warmer. Modu-

lation might occur by either heat storage increases (by
deepening of the mixed layer) or by the horizontal
advection of heat away from the summer hemisphere.
As it turns out, both processes are important.

The instantaneous northward flux of heat across the
Indian Ocean between two meridians x1 and x2 and
the change in heat storage in the ocean column are
given by eqns [14] and [15].

Fadv ¼ rwCw

Z x1

x2

Z 0

z

ðHvTÞ dx dy dz ½14�

SQ ¼ rwCw

Z x2

x1

Z y2

y1

Z 0

z

ðHTÞ dx dy dz ½15�

Here rw andCw represent the density and specific heat
of sea water, and the coordinates x; y, and z represent
longitude, latitude, and depth, respectively. Figure 8
shows the total cross-equatorial flux of heat flux by
oceanic processes from eqn [14], the change in oceanic
storage of heat of the entire Indian Ocean north of the
Equator from eqn [15], and the net surface heat flux
into the North IndianOcean from [2]. In addition, the
atmospheric flux of latent heat across the Equator is
also plotted. Compared to the magnitude of the net
surface heat flux into the ocean (about 0.5 PW), the
changes in storage and the heat flux across the Equator
are much larger, with amplitude swings of 72 PW
through the annual cycle. Clearly, the surface heat flux
is not driving either meridional heat transport or
changes in heat storage. A large part of the changes in
storage occur through cross-equatorial transports of
heat. Figure 8 shows that transport has an extre-
mely large annual cycle, with a maximum northward
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transport occurring in winter and early spring and
a reverse transport occurring in the summer. Finally,
it should be noted that the atmospheric latent heat flux
is almost exactly out of phase with, and roughly
equal in magnitude to, the lateral oceanic heat
transport across the Equator. Clearly, the ocean and
the atmosphere are working in tandem in some
manner to determine the overall heat budget of the
monsoon.

If the atmospheric and oceanic components of the
monsoon are coupled, what are the processes respon-
sible for the coupling? The fundamental clue to
understanding the coupling comes from noting that
the majority of mass and heat transport in the ocean is
wind-driven.Transport is a combination of geostroph-
ic and Ekman transport such that Fadv ¼ Fgeos þ FEk.
The meridional Ekman transport is especially inter-
esting andmaybewritten as in eqn [16],where tx is the
zonal wind stress and T 0 is the degree to which the
temperature of the upper ocean is warmer than the
lower ocean.

FEk ¼ Cw

Z �tx
f

T 0 dx ½16�

In the Northern Hemisphere ðf > 0Þ, the transport
will be southward if the winds are westerly (tx >0)

and northward for easterly winds (txo0). As fo0 in
the Southern Hemisphere, the reverse associations are
true. More generally, vertically averaged oceanic
Ekman transports are to the right of the surface wind
in theNorthernHemisphere and the left of the wind in
the Southern. Thus, in a monsoon system, the heat
transportwill be southward in both hemispheres in the
boreal summer and northward in the winter hemi-
sphere, as shown in Figure 5A. This means that the
overall oceanic heat transport has the opposite sign to
the atmospheric heat transport that is in the direction
of the lower tropospheric divergent wind. The overall
effect of the wind-driven oceanic heat transports is to
cool the SST in the summer hemisphere and warm the
SST in the winter hemisphere, thus reducing the cross-
equatorial SST gradient.

Finally, it should be noted that Ekman transports are
not really applicable very close to the Equator as the
‘spin-up’ time for an Ekman transport to begin
after winds goes as the inverse of the Coriolis
parameter. At the Equator the spin-up time would be
infinite. However, the approximation is valid a few
degrees from the Equator and ocean models show a
smooth transition of heat transport across the Equa-
tor that matches the Ekman transport to the north
and south.
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Regional Effects

In reality, the geography of the monsoon regions is far
more complicated than the idealized model discussed
so far. Each monsoon region possesses different land–
sea distributions and topography. Itmight therefore be
expected that the monsoon flows will have strong
regional character. Nowhere is topography more
important than around the Indian Ocean basin where
the East African Highlands and the Tibetan Plateau
complex extend along the eastern boundary of the
basin and over South Asia, respectively.

The meridionally oriented East African Highlands
act as a mechanical barrier to the South Indian Ocean
south-east trades and concentrate the low-level flow
intercepting the barrier crossing the Equator as an
intense low-level flow called the Somalia Jet. Wind
speeds in the core of the jet exceed 20–25m s�1. The
impact of the East African Highlands is shown
schematically in Figure 9. The jet stream drives a
strong cross-equatorial Somalia Current and farther
up the coast produces intense coastal upwelling that is
associated with the 3–41C drop in SST in the eastern
Arabian Sea compared to 1–21C over the entire North
Indian Ocean.

During the spring and summer, the role of the
Tibetan Plateau complex thought to be thermal, acting
as an elevated heat source rather than as a barrier. To
understand the concept of an elevated heat source, one
needs to consider the heat balance on the surface of the
plateau and the heat balance of the free atmosphere at
the same elevation but away form the plateau. During

spring and summer, the interception of radiation on
the plateau causes a transfer of sensible heat and latent
heat to the atmosphere of about 100Wm�2 com-
pared to amuch smaller value in a layer of atmosphere
over the plains to the south. The heating of the plateau
produces a localized heating anomaly. Figure 10
shows the heating that occurs throughout the tropo-
sphere at 101N, 201N, 301N, and 401Nat 801E after
May 1. During the boreal winter, there is no evidence
of heating over the plateau. Instead, the topography
acts as amechanical barrier to the strong borealwinter
westerlies.

Toa large degree, theTibetanPlateau ismajor factor
determining the character of the South Asian summer
monsoon. The location of the elevated heat source to
the north of 251N is sufficiently strong to produce
rainfall well into the subtropics, which, on a global
perspective, are usually regions of low rainfall and
deserts. The location of the upper tropospheric anti-
cyclone is determined by Tibetan Plateau, which, in
turn, sets the position of the upper tropospheric
Easterly Jet and the region influenced by the secondary
circulations in the exit region (Figure 6).

Regulation of the Monsoon System

One of the interesting features of the South Asian
monsoon is its relative constancy from year to year.
For example, the mean precipitation over the Indian
subcontinent is 852mm with a standard deviation of
84mm. These statistics represent a high-rainfall
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region with very small variability about the mean.
Furthermore, prolonged droughts or floods (i.e., mean
summer rainfall outside the range of 852784mm) are
very rare. Between 1870 and 1998 there were 17 flood
years and 22 drought years. Equally interesting is the
lack of prolonged anomalies. Excessive rainfall oc-
curred in successive years only twice (in 1892–94, and
1916–17), while deficient rainfall has occurred in
successive years three times (1904–05, 1965–66, and
1985–87). The El Niño Southern Oscillation (ENSO)
phenomenon explains about 40% of the variance,
with El Niño often being associated with drought and
La Niña with flood. Also, it has been noted that there
are periods where there is strong biennial trend in the
rainfall record, with strong and weak monsoon years
occurring successively. Overall, it would seem that the
monsoon is regulated in some fashion to fall within
rather narrow limits of variability. In the following
paragraphs, it will be suggested that regulation of
monsoon intensity occurs through the interaction of
the ocean and the atmosphere in the manner intro-
duced described under ‘The Impact of Rotation’.

Regulation of the Monsoon Annual Cycle

Figure 11 shows a schematic of the atmospheric
circulation and corresponding ocean heat transport
for the boreal summer and winter. The impact of the
wind-driven ocean heat transport is to homogenize the
SST gradient across the Equator, lowering it in the
summer hemisphere and warming it in the winter
hemisphere. The reduction of the SST gradient will

have two major impacts. First, the cross-equatorial
pressure gradient will be reduced, which will have the
effect of reducing the intensity of the monsoon winds.
Second, the reduced SST in the summer hemisphere
reduces the saturated vapor pressure of an air parcel
approaching the continental region. As the SST is very
warm, small changes in the SST will invoke large
changes in the saturated vapor pressure, as determined
by the nonlinear Clausius–Clapeyron equation. The
reducedmonsoonwinds will lower the convergence of
moisture into the continental regions. In tandem with
the reduced saturated vapor pressure this reduces the
release of latent heat in the precipitating regions. The
overall impact of the two processes is to reduce the
amplitude of the monsoon annual cycle. Without
ocean heat transports, the SST extremes would
produce a monsoon that would be very different
from that which is observed today and would quite
likely be much wetter.

It is important to note that the annual cycle of
oceanic heat transports, as described above, is a
phenomenon that is restricted to regions that have
strong cross-equatorial pressure gradients and a sur-
face flow from the winter to the summer hemisphere.
For example, the Pacific Ocean is characterized by a
Trade Wind regime that converges into the western
Pacific from both hemispheres. The Ekman transports
of mass and heat are away from the tropics in both
hemispheres: to the right of the north-easterly Trades
and the left of the south-easterly Trades. The ocean
heat transport produced by the Pacific Trade Winds is
probably important in regulating the surface temper-

0 4 8 10 12 14−2−4

1000

700

500

200

100

300

P
re

ss
ur

e 
(h

P
a)

10° N

M J S
1000

700

500

200

100

300

J A M J SJ A M J SJ A M J SJ A

2 6

20° N 30° N 40° N

°C

Figure 10 Time section of the change in atmospheric temperature over the Tibetan Plateau based on temperatures at 1 May.

MONSOON / Dynamical Theory 1383



ature of the Pacific warm pool. However, the strong
seasonality and change in sign of the heat transport is
restricted to the Indian Ocean monsoon regime.

Regulation of Monsoon Interannual Variability

Imagine that, for some reason, that the SST in the
northern Indian Ocean during spring was higher than
normal. Such alterations to the climatology could be
imposed by external factors such asENSO, anomalous

winter or spring snowfall over Eurasia, or the result of
stochastic processes. Warmer than average SSTs
would lead to a stronger than averagemonsoonwinds.
In fact, there is observational evidence for the rela-
tionship. Indian Ocean SSTs during the previous
winter and early spring correlate positively with the
strength of the ensuing monsoon. Overall, the same
processes that regulate the annual cycle of the mon-
soon ensure that the anomalous imposed conditions
(e.g., high SST, weak winds) are eradicated.
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representations of the surfacewind in strong andweakmonsoon years. In a strong year, the Ekman transport will be largewhile in a weak

year it will be smaller. Thus during a strong year the northern IndianOceanwill cool at a greater rate than during a weak year. Given that a

strong monsoon is usually preceded by warmer than average sea-surface temperatures in the Indian ocean, a strong monsoon year is

often followed by a weak monsoon and vice versa.
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For the case of higher than average springtime
North Indian Ocean SSTs, the meridional pressure
gradient would tend to be stronger and the near-
surface saturated vapor pressure higher, causing a
stronger than average monsoon to develop. A strong
monsoon with greater than average winds would (1)
cause deep mixing and increase the ocean storage of
heat, and (2) drive stronger than average southward
wind-driven oceanic heat transports. The impact of
the strongmonsoonwould be to cool theNorth Indian
Ocean so that the SSTs during the following winter
would be lower than average. In turn, these lower SSTs
would produce a weaker than average monsoon in the
following spring and summer. Associated with the
weaker than average monsoon winds would be a
lowering of the southward heat transport.

Figure 12 shows an example of the monsoon
interannual regulation process at work. In 1987 a
strong El Niño occurred and was followed in 1988 by
an equally strong La Niña. In 1987 the South Asian
monsoon was weak, with Indian summer rainfalls
17% below normal. In 1988 the monsoon was strong,

with rainfall over India 13%above normal. The figure
shows a time section of the annually averaged north-
ward oceanic heat transport for these two years
calculated using a stand-alone ocean model driven
by observed winds. Figure 12 plots annually averaged
values. The long-term average cross-equatorial heat
transport is about �0.2 PW which matches the
climatological net surface heating over the North
Indian Ocean. However, during the weak monsoon
year of 1987, the net surface flux was slightly higher
and, associated with the weaker monsoon winds, the
cross-equatorial ocean heat transport reversed from
the climatological value of �0.2 PW to 10.2 PW.
During the following year, the net surface flux into the
North IndianOceanwas reducedwhile, responding to
the much stronger monsoon winds, the oceanic heat
transport was twice the long-term mean value of
�0.2 PWat �0.45 PW. The two years 1987 and 1988
illustrate the manner in which the monsoon system
responds to forcing anomalies and returns the system
to equilibrium.

Summary

A rather different picture of the monsoon has been
presented. Rather than describing the monsoon as a
gigantic sea breeze driven by the differential heating
between the ocean and land, a self-regulating system
has been introduced in which dynamic aspects of the
ocean play critical roles in modulating the strength of
the monsoon. On this view, it is clear that if the
variability of the monsoon is to be predicted, it will be
necessary to consider the system as a fully coupled
interactive system. As such, the numerical models that
will be used to simulate and predictmonsoon behavior
will have to have interactive oceans.

See also

Climate Prediction (Empirical and Numerical). Cou-
pled Ocean–Atmosphere Models. Hurricanes. Mon-
soon: ENSO–Monsoon Interactions; Overview;
Prediction. Ocean Circulation: General Processes.
Tropical Meteorology: Equatorial Waves; Inter Tropical
Convergence Zones (ITCZ); Overview and Theory; Trop-
ical Climates. Weather Prediction: Regional Prediction
Models.
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Introduction

The word ‘monsoon’ is derived from the Arabic word
mausam, which means season. In monsoon regions,
the change of season is accompanied by a reversal of
the prevailing wind direction and abrupt changes in
rainfall patterns. The most pronounced monsoon
climate is found in the Asian–Australian region. Other
regions that exhibit monsoonal characteristics include
the maritime continent, western Africa, central Amer-
ica, south-western North America, and South Amer-
ica. These regions are often adversely affected by
severe droughts and floods caused by the strong year-
to-year-variability in monsoon rainfall. During the
summer of 1997, southern China experienced severe
flood while northern China was gripped by one of the
driest season on record. In the summer of 1998, a
monsoon depression in Bangladesh devastated the
country, causing major floods in the Ganges and the
Brahmaputra river, displacing over 30 million people,
and resulting in property and agricultural loss of over
$US 3.4 billion. In the same summer, a flood of biblical
proportion ravaged the Yangtze River basin and
northeastern China, displacing over 220 million
people, inflicting a huge economic loss of over $US
12 billion. Understanding and predicting monsoon
variability is therefore vitally important for benefit of
society.

Scientists have long suspected that there is a
connection between monsoon rainfall variability and
components of the global circulation system. G. T.
Walker in the 1920s found that the Indian monsoon
rainfall anomalies may be foreshadowed by seasonal
surface pressure variations over several ‘strategic’
points remote from India.Of themany planetary-scale
patterns found by Walker, the most important is the
Southern Oscillation (SO), which was described as ‘a
swaying of pressure on a big scale backwards and
forwards between the Pacific Ocean and the Indian

Ocean’. However, his effort to translate themonsoon–
SO relationship into seasonal and interannual predic-
tion of Indian monsoon rainfall was largely unsuc-
cessful. Several decades later, Bjerknes first suggested
that the SO as found by Walker is closely linked to El
Niño (see El Niño and the Southern Oscillation:
Observation; Theory), Bjerknes’ work and subsequent
research have led to the development of various
empirical monsoon forecast schemes based on the El
Niño–Southern Oscillation (ENSO). However, results
are mixed, because even though ENSO may be
important in influencing monsoon rainfall variability,
there are a large number of factors that may confound
or limit monsoon predictability. With the advances in
our understanding and prediction of ENSO, there is
now renewed interest in reexamining the monsoon–
ENSO relationship and its possible utilization for
monsoon prediction. The discussion here will focus
mainly on the most pronounced monsoon system, the
Asian–Australian monsoon (AAM), unless specified
otherwise.

The Basic Relationship

Figure 1 shows the time-series of all-Indian summer
rainfall (June–September) from 1871 to 1998. Large
interannual variability can be seen. There also appears
to be interdecadal modulation of the amplitude of the
anomalies. Relatively small anomalies are found in the
1880s–90s, the 1920s–40s, and in the 1990s. Large
anomalies are found in the 1900s–20s, 1960s–80s. As
indicated by the color shading, the Indian monsoon is
generally below normal preceding the peak of a warm
sea surface temperature (SST) event (El Niño) and
above normal preceding a cold event (La Niña).
However, there are warm or cold events that produce
very weak signals or even anomalies of the opposite
sign.Most important, a large number ofmajor rainfall
anomalies are not related to either ElNiño or LaNiña.
Similarly relationship can be found for the austral
monsoon (not shown). Hence, not all monsoon floods
and droughts can be explained by ENSO.
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Table 1 summarizes the monsoon rainfall statistics
in relationship to the occurrence of El Niño and La
Niña for a multidecadal period, for all of India and
for northern Australia. During the 124-year period,
out of the 53 events classified as below average,
24 events were associated with El Niño. Only 2 were
associated with La Niña. For 71 above-average
events, 4 belong to the El Niño group and 19 to
the La Niña group. Altogether, El Niño explains
fewer than 50% of the total below-average events
and La Niña fewer than 30% of the above-normal
events. For extreme events, the statistics shown in
Table 1 convey the same message. Out of the
22 extremely deficient-rainfall events, 11 were
associated with El Niño and only 2 were found
in La Niña. Conversely, for extreme excessive-rainfall
events, 7 out of 18 were found in La Niña, and
none were associated with El Niño. For northern
Australia, the statistics are very similar. Obviously,
the relationship is far from perfect, but it is clear
that in some fundamental way the two phenomena are
related.

Spatial Patterns

To understand the physical underpinnings of the basic
ENSO–monsoon relationship, we turn to the spatial
distribution of rainfall and large-scale circulation
anomalies associated with ENSO. Figure 2 shows the
seasonal climatologies (long-termmean) and compos-
ites of seasonal mean anomalies of rainfall and surface
wind over the Asian–Australian monsoon region for
December–February–January (DJF) and June–July–
August (JJA) respectively. The anomalies are shown as
the difference between composites of El Niño and La
Niña. Climatologically, the boreal summer monsoon
is associatedwith centers of heavy rainfall anchored to
the west coast of India, the Bay of Bengal, Indo-China
and the South China Sea/Western Pacific region
(Figure 2A). The low-level circulation is dominated
by a large-scale anticyclonic (clockwise in the North-
ern Hemisphere) gyre circulation over the Indian
Ocean. This anticyclone gives rise to a strong low-level
westerly flowacross the Indian subcontinent and Indo-
China, subsequently turning northward into East Asia
and Japan. A dominant low-level anticyclonic circu-
lation, known as the Subtropical High is located over
the subtropical western Pacific, with prevailing east-
erlies in its southern flank, between 101 S and 101N.
The westerlies and easterlies converge over the South
China Sea/Philippines region, coincidingwith the zone
of heavy precipitation in this region. During El Niño
(opposite for La Niña), enhanced rainfall and low-
level westerlies are found over the equatorial central
Pacific (Figure 2B). Reduced rainfall is found over the
maritime continent and the subtropicalwesternPacific
in both hemispheres. The rainfall pattern between
101 S–101 N over the Indian Ocean and the Western
Pacific has been referred to as a ‘rainfall dipole’, which
is one of the many key signatures of El Niño. Note
that the responses over the monsoon land regions
are not very well defined, compared to their oceanic
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Table 1 Rainfall anomaly statistics for all-India summer rainfall

and northern Australia summer rainfall, based on approximately

124 years of data

Rainfall All India Northern Australia

Total El Niño

(La Niña)

Total El Niño

(La Niña)

Below average 53 24 (2) 49 20 (4)

Above average 71 4 (19) 58 5 (17)

Drought 22 11 (2) 18 9 (0)

Flood 18 0 (7) 17 2 (5)

FromWebster PJ,MaganaVO, Palmer TN, et al. (1998)Monsoon:

processes, predictability, and the prospects for prediction. Journal

of Geophysical Research – Oceans 103: 14451–14510. Repro-

duced by permission of American Geophysical Union.
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counterparts. In particular, over the Indian subconti-
nent the signal is mixed. Over the Indian Ocean, the
anomalous easterly flow between the equator and
151N signals a weakening of the Indian Ocean gyre
circulation. The rainfall dipole, which is made up of
general suppression in rainfall (sinking motion) over
the monsoon region and enhancement of rainfall
(rising motion) in the equatorial central Pacific, is due
to the eastward shift of the Walker circulation (see
Walker Circulation) during El Niño.

During the austral summer, December–January–
February (DJF), the zone of heavy rainfall shifts south
of the Equator to the maritime continent, northern
Australia and oceanic regions further east, near the
dateline (Figure 2C). The large-scale circulation fea-
tures low-level easterlies over the Northern Hemi-
sphere western Pacific and much of the Indian Ocean
just north of the Equator. Over the far western Pacific
and the Indian Ocean, the flow turns southward and
then eastward into the Southern Hemisphere, culmi-
nating in a belt of westerlies from the eastern Indian
Ocean to 1601E. During an El Niño, rainfall anomaly
occurs again in the form of an east–west dipole, with
increased rainfall over the equatorial central Pacific
and suppressed rainfall over the far western Pacific/
maritime continent. In addition, a broad region of
enhanced rainfall is found over the central andwestern

Indian Ocean and an area of reduced rainfall over the
eastern equatorial Indian Ocean. Together, these
rainfall anomalies form a secondary dipole over the
Indian Ocean. While the Indian Ocean dipole appears
as part of the signal of ENSO, it has been suggested
that the Indian Ocean dipole may also arise from
regional coupled ocean–atmosphere processes that are
independent of ENSO. Accompanying the anomalous
rainfall are anomalous low-level westerlies over the
central Pacific and easterlies over far western Pacific
and Indian Ocean, consistent with the eastward shift
of the Walker circulation during El Niño.

The relationship between rainfall over India and
northern Australia and El Niño/La Niña noted earlier
can be seen only as elements of a much larger shift in
the tropical rainfall and circulation pattern. Note that
composite pictures like those shown in Figure 2 only
bring out common features for different El Niño/La
Niña events, the actual rainfall anomalies may vary
greatly regionally and for individual events.

Factors Affecting Monsoon–ENSO
Relationships

Regional Ocean–Atmosphere Processes

Recent studies have shown that in addition to the
basin-scalemonsoon–ENSOmode associatedwith the
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shift of the Walker circulation, there are intrinsic
modes of variability in the monsoon–ocean–atmos-
phere system that are not directly connected with
ENSO. These modes stem from regional coupled
ocean–atmosphere processes in the Indian Ocean, the
western Pacific, the South China Sea and Indonesian
waters. The regional anomalies can amplify, oppose,
and/or modulate ENSO-induced direct changes as the
Asian–Australian monsoon responds and adjusts to
the ENSO forcings. The regional ocean–atmosphere
process regulates the SST and rainfall covariability in
the monsoon region, through fluxes of heat and
momentum at the ocean–atmosphere interface. This
regional coupling covers a wide range of timescales
ranging from the intraseasonal to interannual and
beyond (see the discussion of intraseasonal variability
later).

Snow Cover

A major factor that may confound the monsoon–
ENSO relationship is the impact of snow cover on the
evolution of the monsoon. In a report that dates back
to the nineteenth century, Blanford in 1884 first
showed that the strength of the Indian summer
monsoon may be affected by snow cover over the
Himalayas. There is now observational evidence
suggesting that persistent winter snow cover over the
Tibetan Plateau may delay or weaken the monsoon
during the following summer. Increased snow cover

increases the surface albedo, reflecting more solar
radiation from the land surface. Heat energy that
would otherwise be used to heat up the land will be
used to melt the extra snow. As a result, the land
surface heats up more slowly during the spring and
summer, reducing the land–sea contrast and therefore
weakening themonsoon. Conversely, reduced snow in
the previous winter may lead to enhanced monsoon
rainfall. However, while Eurasian snow cover changes
may be related to internal atmospheric processes,
increased snow cover over Eurasia may not be
independent of ENSO on the interannual timescale.

Land–Atmosphere Hydrological Feedback

Land–atmosphere processes can affect monsoon and
monsoon–ENSO relationship by altering the energy
andwater cycles within themonsoon regions, through
surface heat fluxes and hydrological feedback mech-
anisms, as illustrated in the schematics in Figure 3. For
example, if the soilmoisture content of theAsiatic land
mass is abnormally high during the start of amonsoon
season, land surface evaporation will be increased.
This will lead to increased moistening of the atmos-
pheric boundary layer, more unstable air masses and
hence more convection and rainfall, resulting in a
positive feedback, leading to further moistening of the
land region. However, the cloudy sky condition
stemming from enhanced convection will shield and
reduce the amount of solar radiation reaching the land

Large-scale Remote Forcing

Cloudiness
∆CL>0

Precipitation
∆P>0

NF2

Moist convergence
(P −E )>0

Soil
moisture
∆S>0

Ground temp
∆Tg<0

NF1 ∆LWsfc<0,
∆SH<0

Energy cycle

Surface short
wave ∆SWsfc<0

Evaporation
∆E >0

Hydrological cycle

Figure3 Schematic showing elements of land–atmospherewater and energy cycle feedback for theAsian–Australianmonsoon (AAM)

region. Negative feedback links are denoted by the symbol NF. The symbols used are for precipitation (P), evaporation (E ), soil moisture

(S), cloudiness (CL), ground temperature (Tg), surface long-wave radiation (LWsfc), surface short-wave radiation (SWsfc) and sensible

heat flux (SH). The sign of the anomalies indicate the possible feedbackmechanisms for a persistent cool, wetmonsoon climatewhen the

ENSO forcing favors upward motion over the AAM region.
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surface, causing the land to cool. As the land mass
cools, the resulting decreased land–sea thermal con-
trast can only support a weaker large-scale monsoon
circulation, with reduced monsoon rainfall. This
results in a negative feedback, halting further increase
in soil moisture. These feedback mechanisms are
dependent not only on local processes but also on the
remote forcing such as forced large-scale descent or
ascent over the AAMregion by ENSO.The large-scale
vertical motions provide a strong control on atmos-
pheric stability and initiation of convection. Even
though the ENSO remote forcing has relatively slow
timescales, its impact may be sufficient to tip the
delicate balance of the aforementioned local feedback
processes, causing either the persistence of a given
climate state or transition from one state to the other.

Intraseasonal Variability

One of the key characteristics of the monsoon is the
presence of a rich spectrum of intraseasonal variabil-
ity. These include quasi-periodic oscillations of 30–60
days or 10–20 days and transient waves of 3–5 days.
The intraseasonal variabilities are generated by inter-
nal atmospheric dynamics but strongly modified by
sea surface temperature and land surface processes.
They are responsible for the modulation of monsoon
onsets, breaks, and evolution regionally. Intraseasonal
variabilities, especially those in the lower-frequency
end of the spectrum, can have strong impacts on the
seasonal mean monsoon climate. Over different
regions, they can either strengthen or weaken the
direct influence byENSOon themonsoons. It has been
suggested that, the near normal monsoon rainfall over
India during the strong El Niño of 1997–98 may be
due to the effects of pronounced intraseasonal varia-
bility, which brought copious rainfall to many parts of
India in spite of the tendency of ENSO to weaken the
AAM.

Biennial Variability

Rainfall records in many monsoon regions show a
strong biennial tendency, i.e., a strong monsoon
followed by a weak monsoon, and vice versa. Some
aspects of this tendency can be discerned from Figure
1. The origin of the biennial tendency in the monsoon
is still unclear, but it may be related to local air–sea
interaction as well as basin-scale coupled processes.
Coincidentally, a strong biennial tendency has also
been found in ENSO cycles. Except for the different
timescale, the evolutionary features of the biennial
oscillation in sea surface temperature, sea level pres-
sure, wind, and precipitation are very similar to those
of ENSO. Recent studies have suggested that strong
monsoon–ENSO interactions may be manifested in a

strong biennial tendency in ENSO cycles. Because the
monsoon wind forcings have strong seasonality, and
their directions and magnitudes are strongly tied to
ENSO, it is possible that monsoon wind forcings may
induce a biennial time scale in ENSO.

Interdecadal Variability

Because of multiple contributing factors, the relation-
ship between monsoon and ENSO is likely to be
nonstationary. Webster and colleagues showed that
during the late 1800s and early 1900s the correlation
between Indian rainfall and the Southern Oscillation
Index (SOI) was relatively high (B0.6), but in the
1920s–40s the correlation dropped to less than
0.2–0.3. It rose again to 0.5–0.6 in 1960s–80s. In
more recent decades, there is again a sharp decline in
the correlation to less than 0.2. These changes appear
to correlatewith changes in sea level pressure and large
scale circulation patterns. The interdecadal modula-
tion of monsoon–ENSO relationship has led some
authors to suggest that the recent weakening of the
relationship may be linked to changes in the structure
of ENSO, perhaps due to global warming. However,
these assertions should be treated with extreme
caution, because of the uncertainty in the historical
data records and the sensitivity of the analysis to long-
term trends.

Future Prospects

Year after year, occurrences of devastating monsoon-
related droughts and floods serve as a reminder that
improved prediction of the monsoon rainfall is para-
mount for the well-being of millions living in the
monsoon regions. Today, monsoon prediction is still a
very challenging problem.With the better understand-
ing of monsoon–ENSO interaction, and its relation-
ship with other contributing factors, scientists are
hopeful that they are a step closer to better under-
standing the causes and the predictability of monsoon
rainfall anomalies and to devising better monsoon
prediction schemes.

See also

El Niño and the Southern Oscillation: Observation;
Theory. Monsoon: Dynamical Theory; Overview; Predic-
tion. Walker Circulation.
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Introduction

Monsoons are identifiedwith copious seasonal rainfall
as well as with steady seasonal winds, which reverse
their direction in a persistent manner with surprising
regularity. The term ‘monsoon’ has its origin in the
Arabic word ‘mausim’, which means season. Seamen
used this word for many centuries to describe a system
of alternating winds over the Indian Ocean and
Arabian Sea which blow from the north-east for six
months and from the south-west for the remaining six
months. In general, the shift in seasonal wind is about
1201, which is mainly caused by the differential
heating of land and ocean. Monsoon winds are most
pronounced in the summer season of either hemi-
sphere. The monsoons blow over East Asia, South
Asia, Africa, and northern parts of Australia. Recently
the presence of a monsoon has also been recognized
over south-western parts of North American conti-
nent. Overall, about half the tropics or a quarter of the
surface area of the entire globe may be defined as
having a monsoon climate.

The annual cycle of the monsoon contains two
strong components. One is the summer monsoon,

which lasts almost from June to September. The
second component, the winter monsoon, lasts roughly
from December through February. The summer mon-
soon in southernAsia is a huge climate system inwhich
the Indian monsoon and the East Asian monsoon are
the principal constituents.

For millions of people in monsoon regions,
monsoon rainfall is the only accessible source of
water. If the monsoon fails, people’s lifestyles can be
severely disrupted. Accurate prediction of monsoon
onset and quantum of monsoon rainfall for a few days
up to a season can make a difference between
agricultural success and failure. Accurate monsoon
forecasts with sufficient lead times are also required
for government action and public response. Similarly,
prolonged droughts and floods can bring excess
hardship to the people in the monsoon region. These
may lead to loss of life and property, and a heavy
economic burden on the people as well as on the
government.

Principal Rainbearing Systems in the
Monsoon Region

The principal rainbearing systems in the monsoon
regions are: (1) monsoon lows and depression; (2)
monsoon trough and fluctuation in its intensity and
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location; (3) mid-tropospheric low-pressure systems;
(4) offshore vortices.

Monsoon lows and depressions are on scales of the
order of 3000 km, with a frequency of roughly every 5
days and 15 days respectively. Over the Indian region,
monsoon lows and depressions generally form over
the northern part of the Bay of Bengal andmove north-
westwards across the central parts of India. Over
South-East Asia, most heavy rain spells are associated
with tropical waves, mid-tropospheric cyclones, and
surface convergence zones (troughs). During the
winter monsoon season in the Northern Hemisphere,
South-East Asia experiences heavy rain often associ-
ated with the commencement of cold surges over the
South China Sea. Monsoon lows also enter the South
China Sea from the western Pacific Ocean. In the
Southern Hemisphere the onset of the winter mon-
soon, especially over northern Australia, is also
preceded by the formation of hurricane-like distur-
bances along the monsoon trough.

Scales and types of Monsoon
Prediction

The degree to which monsoons are predictable
depends upon the space scale and time scale for which
predictability is being sought. The day-to-day changes
in rainfall in themonsoon region are determinedby the
life cycle of synoptic scale disturbances. Predictability
of day-to-dayweather in themonsoon region is limited
to only 2–3 days. However, rainfall through the
monsoon season averaged over a large geographical
area can be predicted with a lead time such as seasonal
monsoon rainfall over India as a whole.

In the monsoon region, forecasts for the following
elements are very important: the commencement of
monsoon rains; heavy rainfall events and flash floods;
the active and break phases of the monsoon; the total
amount of rainfall and number of rainy days during
the season. Monsoon prediction in general can be
classified into the four categories given in Table 1.

Approaches Used for Monsoon
Forecast

There are three important approaches in monsoon
prediction of the above time scales. They are: synoptic
(subjective/empirical) method; statistical method;
numerical (dynamical) method.

Synoptic Approach

In this approach, surface and upper-air weather charts
depicting the state of the atmosphere (current weather)
are prepared. For preparing the weather charts,

meteorological observations exchanged among the
countries through the Global Telecommunication
System (GTS) are used. In addition, change charts
depicting the 24-hour changes in temperature, humid-
ity, and pressure are also prepared. The forecasters
refer to these weather charts (synoptic charts) con-
taining the observations of the nature of the present
weather and of changes in past 24 hours. From these
charts, rain-producing systems are identified and
interpreted. Then their movements, intensification or
weakening, etc., for the next 24–48 hours are estimated.
Based on past experience and other forecasting tools
like satellite imagery and radar pictures, forecasters
come to a conclusion on the expected weather over a
region. Though these forecasts are often subjective, as
they depend on the expertise and skill of the forecast-
ers, this approach is very useful for short-range
forecasting, since the radar and satellite observation
of clouds and precipitation are more susceptible to
human interpretation. The success of short-term
prediction depends on the forecasters’ ability to
anticipate the movement and intensity of the rain-
bearing systems.

Statistical Approach

In this approach, various statistical methods like
regression, contingency tables, probability analysis,
and the discriminant analysis are used to prepare the
forecast the future value of a parameter. Historical
meteorological data for 30–50 years are used to
develop the statistical relationships between the pre-
dictand (meteorological parameter to be forecasted)
and the predictors (related meteorological param-
eters). For short-range forecasts of heavy rain, for
example, parameters like vertical velocity, or low-level
convergence, moisture content, stability parameters,
etc., are used as the predictors. The statistical model is
then validated using some data for an independent
period to assess the skill. Once the model is found to
have some useful skill, then that model is introduced
for the operational forecasts. The statistical approach

Table 1 Categories of monsoon predictions

Short-range Beyond 12 hours’ and up to 72 hours’

description of weather parameters.

Medium-range Beyond72hours’ (3 days’) and up to 240

hours’ (10 days’) description of

weather parameters.

Extended-range Beyond 10 days’ and up to 30 days’

description of weather parameters.

Long-range or seasonal

outlook

From 30 days’ up to one season’s

description of averaged parameter

expressed as a departure from

climate values for that season.
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is used successfully for all scales of forecasts from
short-range to long-range.

Dynamical Approach

The dynamical approach is also termed numerical
weather prediction (NWP), and is used to forecast
weather from its present behavior using fast comput-
ers. The behavior of the atmosphere is governed by a
set of physical laws, which can be expressed as
mathematical equations. These equations take into
account how atmospheric parameters like tempera-
ture, humidity, etc., will change from their values at
the present time. These equations are nonlinear and
complex and therefore no exact solution can be
obtained. In the NWP method, we solve these math-
ematical equations by employing numerical tech-
niques to provide approximate solutions. By using
approximate form of the equations we can calculate
the future values of different atmospheric parameters
using computers. To describe the initial state of the
atmosphere, observational data from a complex net-
work of surface and space-basedmeasurement devices
are used. The data include surface and upper-air
network measurements of wind, temperature, pres-
sure, geopotential height, humidity, rain rate, and
clouds. Using the NWP method, a wider variety of
conditions can be predicted than by means of the
statistical or synoptic methods.

Using NWP method, a short-range forecast is
generally not prepared for the whole atmosphere but
only for a local area of interest. For this purpose, we
generally use a limited area model (LAM) or regional
model. This produces a very detailed forecast at very
small spatial scale (generally of the order of 100 km or
less). For medium-range forecasts, global models
treating the whole atmosphere, from the Earth’s
surface to a height of about 30 km, are used. For
long-range forecasts or seasonal prediction also,
numerical models are used extensively. These models,
called atmospheric general circulation models, have a
spatial resolution (250–500 km) that is lower than that
required for short-range forecasts but sufficient
enough to resolve and reproduce main climatic
features. For short-range andmedium-range forecasts,
accurate observations of the initial atmospheric state
are crucial. For seasonal prediction, the initial condi-
tions are not as crucial as the boundary conditions.
The general circulation models are integrated for the
whole season with observed values of sea surface
temperatures as boundary conditions.

For short-range and medium-range forecasts, a
statistical approach is often used in conjunction with
the NWP method as a way of adding value to NWP
forecasts and anchoring them in reality as represented

by historical observational data. The basic purpose of
the statistical technique is to quantify relationships
between weather elements of interest and other
meteorological variables, which can be readily fore-
cast. There are two formulation methods used in the
statistical interpretation of NWP. They are the perfect
prognostic method (PPM) and model output statistics
(MOS), it being the source of the data set used in their
development that distinguishes them. In the PPM,
statistical relationships are established between the
weather element (to be forecasted) observed at time t
and observed predictors (analyzed) at time t. In the
MOS, instead of observed (analyzed) predictors,
model forecast values are used as the predictors. The
strength of PPM is stronger because it uses only
observed data concurrent in time. Statistical relation-
ships are established through multiple linear regres-
sion or nonlinear artificial neural network techniques.

Types of Monsoon Prediction

On the basis of the validity period of the forecast,
monsoon forecasts can be classified into four types,
described below in brief:

Short-Range Monsoon Prediction

All the three techniques mentioned above are used for
the short-range monsoon prediction. However, the
synoptic method is very extensively used for short-
range forecasts in several countries in the monsoon
region. In India, forecasters use many rules of thumb
derived from past experience to prepare the short-
range forecasts. For example, if the easterlies to the
north of the monsoon depression in the lower and
middle troposphere are stronger than normal then
they generally indicate a west-northwesterly move-
ment. If the easterlies are weaker then a more
northward track is indicated. Similarly, a north–south
oscillation of the monsoon trough also indicates the
active and break monsoon conditions. During the
active conditions, the central parts and west coast of
India normally receive good rainfall, while during the
break conditions north-eastern and south-eastern
parts of India receive above normal rainfall. Forecast-
ers therefore watch carefully this north–south oscilla-
tion of the monsoon trough. Another well-established
rule is based on the strength of the low-level south-
westerly winds over the Arabian Sea. A dramatic
increase in their speed signals the approach of the
monsoon onset. An example of a surface synoptic
weather chart is shown in Figure 1. In this chart for 11
July 2000, surface weather observations recorded at
03.00 UTC (Universal Coordinated Time) and the
analysis of mean sea level pressure are shown. In the
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inset, rainfall amounts recorded at 03.00 UTC on 12
July are shown. The monsoon depression formed over
the northern Bay of Bengal moved north-westwards
along the monsoon trough. Rainfall activity along the
east coast of India is due to the movement of this
monsoon depression along the monsoon trough.

The onset of the winter monsoon over East Asia is
generally accompanied by the establishment of quasi-
stationary, near-equatorial trough, the commence-
ment of a cold surge, and the reversal of winds from
easterly to westerly at the 200 hPa level. Operational
forecasters watch for these weather patterns in daily
weather charts in order to predict the commencement
of winter monsoon rainfall. Predicting cold surges and
heavy rain are the two major problems in South-East
Asia during the winter monsoon. In China and Hong
Kong, synoptic methods have been developed to
predict the arrival of cold surges. One of the main
difficulties in predicting cold surges is forecasting how
far south the surge will move and with what intensity.
During the summer monsoon, heavy rain spells in
South-East Asia are associated with tropical waves,

mid-tropospheric cyclones over Indochina, and the
convergence zone also over Indochina. In contrast, the
rainfall associated with tropical waves is more easily
predicted, since the waves can be identified and
tracked on surface weather maps and upper-air wind
analysis and satellite cloud pictures. Predicting distur-
bance behavior, particularly the typhoon, is an impor-
tant short-range prediction problem in the summer
monsoon period in South-East Asia. For short-range
prediction of depression development, forecasters
generally look for weak vertical wind shears accom-
panied by an increase in the cyclonic curvature of
winds in the lower troposphere. Major moisture
sources available for the heavy rains in China are the
Bay ofBengal, the SouthChina Sea, and theEastChina
Sea. Low-level southerly jets and easterly jets emanat-
ing from these source regions play a very important
role in initiating and maintaining heavy rainfalls.

In many monsoon countries, short-range rainfall
predictions are prepared using limited-area dynamical
models or regional models. These models have the
resolution of about 50 to 100 km and 10–12 levels in

1000

998

996

998

1000

1002

1004

1006

994

L

1000

998

998

1006 1006 1008

995

60° E 70° E 80° E 90° E 100° E

15° N

25° N

35° N

15

25

35

1006

1008

1
2

3

−6

−7

−1−20
−4−4
−4

−4−8
−5

−3
1

1

6
−3

2
9

d
2

3

6

2

2
2

1
1

1

1

−1

−1
−1

−1
3 2

2
8

2

2

113 5
−5

−3
−1

−1

−13

_
_

_
___

_

_

_

_

_
_
_

_

_
_

_ _ __

_
_

_

_

_

_
_

...

...
...

......

...

...

...

...

... ...
...

...

...

11173

D

610
8
4 1

996

Figure 1 Synoptic surface weather chart of 0300 UTC on 11 July 2000, depicting meteorological parameters and isobars. Rainfall

observations (cm) recorded at 03.00 UTC of 12 July 2000 are shown in the inset.

1394 MONSOON / Prediction



the vertical. The spatial extent of themodel is however
restricted to the area of interest. The model uses the
state-of-the art scheme to treat the growth of cumulus
clouds and the heating due to the formation of such
clouds. The model is integrated up to 48 hours,
starting with the objectively analyzed and initialized
fields. Lateral boundary conditions are generally taken
from the global models. An example of the perform-
ance of regional model short-range predictions over
the Indian region is shown in Figure 2. In this figure,
time series are shown of forecast and observed rainfall
over a square of 51 latitude by 51 longitude centered at
22.51Nand 87.51E during the 1997monsoon season.
This model underestimates orographic rainfall and
overestimates rainfall associated with monsoon low-
pressure systems. For regional monsoon forecasts,
models with more and more spatial resolution (even
up to 30 km) are being used. Research studies show
that there is a need of very high-resolution models for
monsoon forecasting to capture monsoon convection.

Medium-Range Monsoon Prediction

Prediction of monsoon on a medium-range time scale
is very important for agricultural purposes and is
generally prepared using dynamicalmodels. Empirical
and statistical methods have not achieved much
success in medium-range monsoon prediction. In
India, a national center for medium-range prediction
was established about 10 years ago. The National
Center for Medium Range Weather Forecasting
(NCMRWF) uses a state-of-the-art numerical predic-
tion model to prepare medium-range predictions for
the agricultural sector. The Medium-Range Analysis
Forecast System (MAFS) of the NCMRWF consists of

data processing and quality control, data assimilation,
model integration, post processing, diagnostics, and
preparation of location specific agro-meteorological
forecasts. An example of medium-range prediction
of the track of monsoon depression is illustrated in
Figure 3. The prediction of the track of the monsoon
depressionwas consistently closer to the observational
track. The vector error of the 5-day forecast was about
180 km.

For location-specific, medium-range prediction of
meteorological variables like temperature and rain-
fall, techniques likemodel output statistics (MOS) and
perfect prognostic method (PPM) are generally used.
In general, 10–15 meteorological variables derived
from NWP outputs are used as the predictors to
develop multiple regression or neural network equa-
tions. Modest results are obtained in these location-
specific forecasts up to 72 hours using MOS and PPM
methods.

Extended Range Prediction

For many agricultural purposes, predictions of mon-
soon rainfall beyond 10 days are useful. For predic-
tions in the extended range, numerical weather
prediction models are widely used. Synoptic tech-
niques have very limited success in extended-range
predictions. Statistical models have showed reason-
able skill. Another approach is to develop hybrid
models by combining dynamical and statistical mod-
els. These hybridmodels showed comparatively better
skill than dynamical and empirical models. Research
work on extended-range prediction for the monsoon
region is not at present so active as it is for the
extratropical countries. Moreover, extended-range
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prediction models for the monsoon region require
substantial improvements, so that these predictions
can be supplied to the users on an operational
basis.

Long-Range Monsoon Prediction

In the tropics, the dynamical predictability of day-to-
day weather patterns is restricted to 2–3 days, but the
seasonal meanmonsoon circulation there is potentially
more predictable. This is because the low-frequency
component of the tropical variability is forced primar-
ily by slowly varying boundary forcing, which evolves
on a slower time scale than that of theweather systems
themselves. These boundary conditions include sea
surface temperature (SST), land surface temperature,
soil moisture, snow cover, etc. Observational studies
have established that the Asian summer monsoon
rainfall is linked with several surface boundary con-
ditions like east Pacific SST, Indian Ocean SST, land
surface temperature, and Eurasian and Himalayan
snow cover. For seasonal forecasts, we do attempt not
to determine the high-frequency unpredictable weath-
er component, but rather to predict some longer-
time-scale, large-space-scale component of the
ocean–atmosphere system.

There are two main approaches in the seasonal
prediction of monsoon rainfall. They are (1) compre-
hensive diagnostic and empirical studies of climate
and circulation anomalies combined with statistical
analysis, and (2) dynamical prediction using atmos-
pheric general circulationmodels. The IndiaMeteoro-
logical Department (IMD) has been using the first

statistical, approach successfully for monsoon seasonal
prediction for many decades. Statistical predictions
are not deterministic, however. These methods pro-
vide an estimate based on the past observed relation-
ship beween the atmospheric seasonal anomaly and
other climate parameters.

The India Meteorological Department has been
issuing forecasts of summer monsoon rains for over a
hundred years. In fact, Indiawas the first country in the
world to insitute operational seasonal prediction. The
first forecast was issued on 4 June 1886, based on the
inverse relationship between the Himalayan snow
cover and the Indian summer monsoon rainfall
(ISMR). In the early 1900s Sir Gilbert Walker made
significant contributions to the long-range forecasting
system in India. He introduced the concept of a
correlation and regression approach in the long-range
forecasting of monsoon rainfall in India, and also
utilized the concept of correlation to test whether
preceding events anywhere in the world have a
significant relationship with subsequent monsoon
rainfall over India. The first statistical forecast model
Walker developed for predicting Indian monsoon
rainfall is as follows:

R ¼ 0:30F1 þ 0:53F2 � 0:35F3 � 0:04F4 ½1�

whereR is monsoon rainfall over India and Burma, F1
Himalayan snow accumulation at the end of May, F2
South American pressure, F3 Mauritius pressure, and
F4 Zanzibar district rain in April and May.

SinceWalker’s time, the IMD has continued to issue
annually the operational LRF of seasonal monsoon
rainfall over India. Realizing the complexities of the
LRF, efforts have continued over the past 114 years to
develop better LRF techniques. Operational fore-
casts were prepared for three homogenous regions of
India–north-western India, peninsular India and
north-eastern India from 1924 to 1930 and for
north-western India and peninsular India from 1931
to 1987. Since 1988, the forecasts for the monsoon
rainfall over the country as awhole are being issued. In
addition, a preliminary forecast for seasonal monsoon
rainfall over India is also prepared in April (about two
months earlier than the start of monsoon season)
based on the predictors available up to March. The
final forecast is prepared and issued to the public
around 25 May. Since 1988, parametric and power
regression models have been used for operational
long-range forecasts of Indian summer monsoon
rainfall (June–September). The parametric model is
used for qualitative monsoon forecast and the power
regression model is used for quantitative monsoon
forecast. Brief descriptions of the models are given
below.
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Parametric model This utilizes a group of 16
atmosphere–land–ocean parameters as given in
Table 2. By definition, ‘normal’ monsoon indicates
seasonal rainfall within 710% of the long-period
average (LPA) rainfall, which is 881mm (based data
over the years 1901–1970) for India as a whole.
Similarly, the ‘excess’ and ‘deficient’ monsoons indi-
cate rainfall of 4110% and o90% of the LPA
rainfall, respectively. For two-category classification,
normalmonsoon and the excessmonsoon are included
in wet monsoon.

A parameter having a positive correlation coeffi-
cient (CC) with the monsoon rainfall provides a
favorable (unfavorable) signal for a wet monsoon
if its anomaly is positive (negative). The opposite
is true for a parameter having a negative CC. Using
this criterion, the percentage of favorable parameters
out of the 16 has been determined. Frequency
analysis of the signals indicates that whenever
more than 70% of the parameters were favorable,
not only was the subsequent monsoon wet on all
occasions, but the rainfall was also more than the
LPA rainfall. On the other hand, when less than 30%
of parameters were favorable there was an 83%
probability that the ensuing monsoon rainfall would
be deficient. Thus confidence in the wet monsoon
forecast was higher than in the deficient monsoon
forecast.

Power regression model The same 16 parameters as
in the parametric model (Table 2) are utilized in this
model also. Themodel gives an appropriate weighting
to each of the 16 parameters and thus helps to account
for some kinds of nonlinear interaction among the
parameters and the monsoon. The mathematical
expression of the PR model is as follows:

Rþ a0
b0

¼ C0 þ
Xi¼16

i¼1

Ci
Xi þ ai

bi

� �Pi

½2�

where R is the estimated monsoon rainfall over India
as percentage of the LPA rainfall, and the Xs are
different parameters defined in Table 1. The model
constants as, bs, Ps, and Cs are available in the
literature.

The performance of the operational forecasts issued
by the IMD from 1988 to 2001 is shown in Figure 4. It
can be seen that, since 1989, ISMR has been normal
(710%) as correctly predicted by the IMD. In 1997,
when there were apprehensions regarding the pros-
pects of ISMR due to El Niño, the IMD’s prediction of
a normal monsoon was ultimately proved correct.
However, forecast errors in some years (1994, 1997,
and 1999) were more than the model error of 74%.
The root-mean-square error of the forecasts for the
period 1988 to 2000 was 7.6%.

In addition, many other models based on the
statistical techniques, likemultiple regression, dynamic
stochastic transfer (DST), power transfer model,
artificial neural network, and canonical correlation
analysis, are also used for experimental and opera-
tional seasonal prediction of monsoon rainfall over
India.

In many other monsoon countries, the seasonal
prediction is prepared using some kind of statistical
model. In Pakistan, a multiple-regression model is
used for seasonal prediction of summer monsoon
rainfall over Pakistan. The predictors used in the
model represent the intensity of the heat low over
Pakistan and Southern Oscillation parameters. In
many monsoon countries, atmospheric general circu-
lation models are used increasingly for experimental
seasonal prediction. However, these models do not
show useful skill and could not match the skill of
statistical models.

Monsoon Predictions Based on Dynamical Models

Under the Monsoon Numerical Experimentation
Group (MONEG) program, a series of monsoon
simulations were carried out by a number of general
circulation modeling groups around the world to

Table 2 Parameters used in the parametric and power regres-

sion models

S. no. Parameter

1 50hPa east–west ridge–trough pattern duringwinter

( January, February ) (degrees of longitude)

2 Eurasian snow in winter (December) (million square

kilometers)

3 Arabian Sea surface temperature (January,

February ) (1C)
4 Central India minimum temperature in May (1C)
5 Europe surface pressure gradient (January) (hPa)

6 Indianeast coastminimum temperature (March) (1C)
7 Northern Hemisphere pressure anomaly (January to

April) (hPa)

8 Argentina pressure (April) (hPa)

9 Northern Hemisphere temperature anomaly during

winter (January, February) (1C)
10 Southern Oscillation index (SOI) (Tahiti–Darwin)

during spring (hPa)

11 El Niño (previous year) based on SST anomaly over

Niño (112) region (category)

12 South Indian Ocean sea surface temperature

(February, March) (1C)
13 Equatorial Indian Ocean pressure during March to

May (hPa)

14 El Niño (same year) based on SST anomaly over

Niño(112) region (category)

15 Himalayan snow cover (January to March )

(thousands of square kilometers)

16 Darwin pressure tendency ( April–January) (hPa)
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simulate the 1987 and 1988 monsoons using identical
boundary forcings and initial conditions. These results
also showed that a large fraction of the simulated
Indianmonsoonwas forced by the SST variations over
the Pacific.

As a second part, theAtmospheric Inter-comparison
Project (AMIP) was initiated. In this project, many of
the world’s atmospheric general circulation models
(AGCM) have been integrated over the 10-year period
1979–1988with identical specified SSTs.Validationof
these forecasts revealed that somemodels simulate the
observed seasonal migration of the primary rainbelt
over the Asian West Pacific region, while in several
others this rainbelt remains over the equatorial oceans
in all the seasons. Very few models are able to capture
all the fluctuations between wet and deficient mon-
soon seasons observed in the AMIP decade. The
simulation of the interannual variability of monsoon
rainfall differs widely from one model to another,
indicating the great sensitivity of this region as regards
the resolutions and physical parameterizations of the
models.

The European Center for Medium Range Weather
Forecasting (ECMWF) coordinated a European col-
laborative project called Prediction Of Climate Vari-
ations On Seasonal To Inter-annual Time Scales
(PROVOST). Under this project, a series of ensemble
runs using the T63L19 ECMWFmodel were made for
each season. For the monsoon season, there were nine
ensemble members, corresponding to nine different
initial conditions starting from 23 May. The integra-
tions were carried out using the observed SST during
the 15-year period 1979–1993. Figure 5 shows the
ensemble mean model precipitation during the period

June–September, averaged over the years 1979–1993.
The observed precipitation (ECMWF reanalysis) for
the same period is also shown. It may be seen that the
spatial pattern of precipitation over the northern Bay
of Bengal simulated by the model was close to the
observed pattern. But model precipitation over the
Southern Hemisphere (corresponding to the Southern
Hemisphere equatorial trough) and north-eastern
India is higher than that observed by 6mmday�1.
On the other hand, the model could not simulate the
precipitation pattern over the west coast of India as
observed. There, the model precipitation was smaller
than that observed by 6mmday�1.

It has been found that there is a large dispersion
among the ensemblemembers in individual years. This
dispersion is fairly comparable to the interannual
fluctuations. Thus, the simulation of the seasonal
mean Indian monsoon rainfall is found to be sensitive
to small changes in the initial conditions.However, the
prediction of the seasonal mean rainfall in other parts
of the tropics (the Sahel, north-eastern Brazil, the
equatorial Pacific) does not seem to be sensitive to
small changes in the initial conditions. Owing to this
dependence on initial conditions, ensemble averages
of the predictions based on different initial conditions
are prepared for the seasonal prediction of monsoon
rainfall. This approach is likely to further refine the
model’s performance.

Recently, the superensemble method of improving
weather and climate forecast using a number of
forecasts from a variety ofweather and climatemodels
has developed skill. Along with the benchmark
observed (analysis) fields, these forecasts are used to
derive simple statistics on the past behavior of the
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models. A superensemble forecast is prepared by
comparing these statistics with model forecasts. Aver-
age root mean square error from the multimodel
superensemble predictions was much smaller than the
errors from the individual predictions. Further studies
are being carried out to bring out the full potential.

See also

Climate Prediction (Empirical and Numerical). Hur-
ricanes.Monsoon: Dynamical Theory; ENSO–Monsoon
Interactions; Overview. Tropical Meteorology: Equato-

rial Waves; Inter Tropical Convergence Zones (ITCZ);
Overview and Theory; Tropical Climates. Weather Pre-
diction: Adaptive Observations; Data Assimilation; En-
semble Prediction; Regional Prediction Models; Seasonal
and Interannual Weather Prediction; Severe Weather
Forecasting.
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Introduction

Mountain meteorology is the study of howmountains
modify weather and climate. The subject is as old as
meteorology itself. Aristotle’s Meteorologica (c. 340
BC) included the (incorrect) speculation that moun-
tains control the altitude range in which clouds form.
Pascal’s 1648 measurement of how the air pressure
decreases with altitude on Puy de Dome in southern
France addressed some of the most profound issues in
meteorology: the weight and compressibility of air.
Throughout the age of exploration, travelers and
geographers described and tried to understand the
various influences of mountains on climate: the
temperature lapse rate (i.e., tree line, snow line, and
high-altitude tundra and glaciers), reversed winds on
hilltops, mountain top clouds, wet/dry contrast across
mountain ranges, the triggering of convection by hills,
sheltering from winds on steep lee slopes, and gap
winds. Some scholars would argue that the scientific
study of mountain meteorology began with the
extensive measurements of the physical conditions
aroundMt. Blanc in the Alps byH.B. Saussure (1740–
1799) or with the reports onmountains and climate in
South America and Asia by A. von Humboldt (1769–
1859). In the nineteenth century, most meteorology
texts by authors in Europe and America contained
sections on mountain climate, including those by
Kaemtz from Halle (1844), Maury fromWashington,
DC (1855), Loomis fromNewHaven (1868), Tyndall
from London (1872), Flammarion from Paris (1874),
and Ferrel from Kansas City (1889). In the twentieth
century, as mathematical models of the atmosphere
advanced, and our ability to observe the atmosphere
quantitatively has improved, our understanding of the

influence of mountains on the atmosphere has grown
exponentially.

The subject of mountain meteorology is connected
with the broader fields of ecology and geology in
severalways.Manyof theEarth’s deserts are caused by
the barrier effects of mountain ranges. Rain forests
often occur on windward mountain slopes. Local
ocean circulations are influenced by the cold air
reaching the sea through mountain passes, and by
the fresh water input to the oceans, channeled by the
terrain. Major continental ice sheets have grown from
small mountain glaciers. The shape and height of the
mountains themselves are controlled by the intensity
of orographic rain and snow, and the subsequent
eroding action of streamflow and glacial scraping.
Mountain meteorology is also important in human
affairs, and thus there is continuing research to
improve the forecasting of hazardous effects of
mountains: severe winds, floods, avalanches, and air
pollution.

Themost obvious influence ofmountains on climate
and vegetation is the decrease of temperature with
altitude along mountain slopes. The lapse rate along
mountain slopes varies somewhat with latitude, sea-
son, and aspect, but typically takes a value of �51C
km� 1. Thus, a 4 km high mountain would be 201C
colder than the surrounding valleys and plains. In the
mid-latitude temperate zone, this difference gives the
mountain top a polar climate, with tundra, stunted
vegetation, and permanent snow fields. In the tropics
however, highland climates can be quite comfortable.
In low-latitude Peru, for instance, highlands in the
Andes are productively farmed for barley, corn,
potatoes, and fava beans. In contrast, the eastern
Peruvian lowlands have excessive temperature and
rains, preventing proper soil development. The west-
ern Peruvian lowlands are an unproductive coastal
desert.
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The challenge and richness of the field of mountain
meteorology are due in part to the fractal nature of the
Earth’s terrain. Major mountain ranges such as the
Rockies, Andes, Himalayas, and Alps have horizontal
dimensions of 1000 km; yet they contain within
themselves a hierarchy of smaller scales down to at
least 100m: a factor of 10 000 in physical size. The
heights ofmountains vary from an arbitraryminimum
of 100m to nearly 10 km: a factor of 100. The
orientations of mountain ranges also vary, with
respect to both the direction of the prevailing winds
and the Sun’s rays. The geographical position of each
mountain range is highly significant, as the physical
characteristics of the environment influence the way
mountains modify the climate. For example, moun-
tains in the tropics may trigger convection and
thunderstorms owing to the unstable nature of a
warm, moist air column, while high-latitude moun-
tains will force smooth uplift with enhanced stratus
rain and snow.

It is interesting to note that the height of the Earth’s
highest mountain (8.8 km) is only about one-tenth of
one percent of the Earth’s radius (6280 km). Thus, the
Earth is nearly as smooth as the proverbial billiard
ball. Given this fact, the importance of mountains on
weather and climate is somewhat surprising. A partial
answer to this paradox is that the Earth’s atmosphere
is also rather shallow; with a density scale height of
8.5 km. Thus, the largest mountains reach to altitudes
above most of the atmospheric mass. A more careful
physical analysis allows us to identify four specific
reasons for the importance of mountains in the
atmosphere. These are discussed below.

Stable Stratification and Buoyancy
Forces

A remarkable property of the atmosphere is its static
stabilityF that is, an inherent resistance to vertical air
motion. This stability arises from its typical temper-
ature lapse rate (g ¼ �6:5�Ckm�1), which is greater
than the adiabatic lapse rate (G ¼ �9:8�Ckm�1). The
magnitude of the static stability is characterized by the
buoyancy frequency N ¼ ½gðg� GÞ=T�1=2 ¼ 0:01 s�1,
where g is the acceleration of gravity and T is the air
temperature. A parcel of air displaced upward will
return to its original level owing to buoyancy forces in
a time t ¼ N�1: about 600 s or 10min. The influence
of this stability on air flow over mountains is an
essential aspect of mountain meteorology.

The static stability of the atmosphere resists vertical
motion, while mountain slopes try to generate vertical
motion. If themountain height is modest and the wind
is strong, air will be able to climb the windward slope

and reach the hill top. In its effort to restore the air
parcels to their original altitude, the buoyancy force
causes the air to overshoot its equilibrium position,
bringing the air rapidly down the lee slope and
generating mountain waves. Through the action of
mountain waves, the influence of the terrain may be
felt at great vertical and horizontal distances from the
generating terrain. Mountain waves have been the
subject of intensive study since the 1930s. They are of
two types: vertically propagating and trapped waves.
Vertically propagating mountain waves can be found
at great altitudes above the mountain, even in the
stratosphere (Figures 1 and 2). They usually have an
irregular pattern, with a poorly defined wavelength
longer than 15 km. Trapped mountain waves can
occur under conditions when the Scorer parameter
(the ratio of the buoyancy frequency to the wind
speed) decreases with altitude, as is the case with a
strong jet stream and reduced static stability in the
upper troposphere. Trapped waves occur in the form
of beautifully periodic waves, with wavelength from 8
to 25 km, extending 100 km or more downstream of a
mountain ridge. Mathematically, trapped lee waves
arise from a resonance inwhich internal gravity waves
reflected downward by the jet stream are reflected
upward again by the Earth’s surface.

For higher hills or slower winds, the air may be
unable to rise over the terrain or, if it does so, may
generate nonlinear breaking mountain waves and
turbulence. Over a long ridge, mountain wave break-
ing causes a transition fromweakmountainwaves to a
strong downslope flow situation. Good examples
are the Foehn in the Alps, the westerly Chinook
windstorm in Colorado and the north-easterly
Bora over the Adriatic Sea. A long ridge may also
create a barrier jet; an air current along the windward
slope, to the left or right of the incident airstream,
depending on whether the mountain lies in the
Northern or Southern Hemisphere. Near isolated
peaks or ridges with gaps, the air flow is forced to
split and divert around themountain causing corner or
gap winds. The most famous flow splitting/gap flow
phenomenon is theMistral, a northerly wind reaching
the Gulf of Lyon between the Pyrenees and the Alps.
Severe downslope and gap winds can cause damage to
crops and structures. Isolated high hills may generate
vorticity by the action of breaking gravity waves or
by sloping boundary layers. This vorticity sheds
downstream to create steady or oscillating vortex
wakes. The big island of Hawaii, during the steady
summer Trade Winds, produces two large counterro-
tating eddies in its lee (Figure 3). The small Caribbean
island of St. Vincent generates a long, straight
wake extending for 400 km towards the coast of
Central America.
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Under the simplest of situations, a single parameter,
the nondimensional mountain height (H ¼ hN=U), is
a controlling quantity in mountain airflow dynamics.
In the definition ofH,h is themountain height,N is the
buoyancy frequency, andU is the ambientwind speed.
IfHo1, laminar mountain waves will exist. IfH >1,
wave breaking or flow splitting will occur. As an
example, if N ¼ 0:01 s�1 and U ¼ 10m s�1, a moun-
tain height of 500 (i.e.,H ¼ 0:5)would generateweak
mountain waves, while a mountain height of 2000m
(i.e., H ¼ 2) would generate severe downslope winds
or barrier jets and gap winds.

Condensation of Water Vapor

Another property of the atmosphere that sensitizes it
to mountain effects is its high water vapor content. A
typical relative humidity in the Earth’s lower atmos-
phere is 70–80%. This level of humidity is maintained
by a global balance between evaporation from the
oceans and land, and precipitation from clouds. With
such humid air, only a few hundred meters of uplift
and adiabatic cooling are needed to bring the air to
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saturation. Thus, air flow over mountains is often
associated with fog, clouds, and precipitation.

While the basic thermodynamics of the ascent of a
moist parcel has been known for more than a century,
the physics of orographic precipitation is poorly
understood and probably varies considerably with
physical scale and climatic setting. One key issue is
whether clouds generated by mountain uplift can
precipitate. In the 1950s, T. Bergeron, a Swedish cloud
physicist, pointed out that, for narrow hills and
moderate wind speeds, air parcels spend so little time
over the hill that there is insufficient time to convert the
cloud droplets to larger precipitation-sized particles.
Under this condition, orographic clouds cannot pro-
duce precipitation themselves but can only amplify
existing broader-scale precipitation by a droplet scav-
enging process.

For midlatitude mountain ranges with widths
exceeding 50 km (e.g., the Sierras, the Alps, the
Southern Alps, the Andes), the transit time across the
range is sufficient for hydrometeors to form. During
episodes of strong moist air flow against the range, the
upslope regions experience heavy rain and/or snow.
The leeward slopes in contrast experience dry, clear,
descending flow – the rain shadow. In the northern
mid-latitude belt of westerlies, the Rocky Mountains
lie across the prevailing air stream. Large annual
precipitation is found on thewestern side (i.e., Oregon
andWashington states), while a drier climate is found
in the High Plains of Wyoming and Colorado. In
Europe, the mountains of Scandinavia produce a wet
climate in Bergen, Norway, and drier climates down-

stream in Oslo and Stockholm. The Alps, oriented in
an east–west direction, experience wet–dry contrast
during short periods of southerly or northerly flow, but
no systematic climate contrast. No better example of
this phenomenon exists than in the southern Andes,
between latitudes 301 S to 501 S. Exposed to the
prevailing westerlies in the Southern Hemisphere,
thewestern side of the Andes receives severalmeters of
annual rainfall, while the eastern side is dry. The south
island of New Zealand provides another clear exam-
ple of a wet–dry contrast. The quantitative estimation
of how much water can cross over a high mountain
range is still a topic of research. Spillover or drift of
hydrometeors is one way in which water can bypass
the effective ‘cold-trap’ presented by a high mountain.
Another bypass mechanism is airflow through gaps.
Air that finds a route through a gap is neither lifted as
high nor chilled as much as air that rises over the
highest peaks.

In lower latitudes, or in summer, the air column
tends to be less stable to moist ascent, and the
perturbing influence ofmountains triggers convection.
Examples of orographic triggering have been studied
inHawaii, in Taiwan, and on the south side of the Alps
in Italy. Convective showers over steep terrain are
dangerous as the heavy rainfall can be channeled
quickly into flash floods.

Solar Radiation

Another atmospheric response to mountains is caused
by an uneven warming by solar radiation. An isolated
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mountain top for example, subjected to the Sun’s rays,
will normally develop a surface temperature that is
warmer than the free atmosphere at the same eleva-
tion. The resulting horizontal temperature gradient
will generate a circulation between the hill top and
surrounding area. A good example of this thermal
circulation is the daily buildup of convective clouds
over the peaks in the Rocky Mountains in summer.
Hikers are advised to reach the peaks bynoon and start
down, thus avoiding the electrical discharges from
afternoon convective clouds. An opposite circulation
might occur if the hill top is snow-covered, so that it
reflects most of the Sun’s radiation.

Another terrain geometry of interest is the deep
valley. Because of the volume displaced by the valley
walls, the sunlight absorbed per unit horizontal area is
used to warm a smaller volume of air than would be
the case in flat terrain, thus raising the temperature
more. This effect can generate a differential warming
between the valley and adjacent plain, or between
sections of the valley with different widths or wall
steepnesses. The resulting temperature difference can
generate an up-axis ‘valleywind’. At night, the process
is reversed and a down-axis ‘mountain wind’ can
occur. These mountain-valley circulations are predict-
able and reliable;modulatedmostly by the cloud cover
shielding the Sun and by the seasons, varying the Sun
angle.

Interesting enhancements and asymmetries in ther-
mally drivenmountain flows can occur if the Sun angle
is low. Consider for example, an east–west ridge with
north- and south-facing slopes, tilted at 221 from the
horizontal. At a latitude of 451 north in the winter, the
Sun lies about 681 south of the zenith point at local
noon. Rays from the Sunwould strike the south face of
the ridge at 461 from normal incidence. The irradiance
falling on the hillslope is given by the product of the
solar constant (S) and the cosine of the angle between

the Sun’s rays and the direction perpendicular to
the surface. For the example at hand, the irradiance
on the sunlit slope is S cosð46�Þ ¼ ð1380Þ ð0:69Þ ¼
958Wm�2 . In contrast, the north-facing slope would
experience tangential rays and thus collect zero
irradiance. This differential heating between north-
and south-facing slopes will generate its own thermal
circulation; rising air on the heated slope and descend-
ing air along the slope in shadow. The heated air may
rise above the hill top to generate cumulus clouds.

Coriolis Force and Large-Scale
Planetary Waves

One of the most interesting, but least understood,
mountain effects on climate is the influence of major
mountain ranges on themid-latitude planetary waves.
The term ‘planetary wave’ here refers to the north–
south meandering of the westerly jet stream and polar
front around the globe (Figure 4). The wavelength of
these waves ranges from 5000 to 20 000 km. The
week-by-week location of the crests and troughs of the
planetary waves modulate the temperatures and
storminess of sites around the world.

It was suggested by J. Charney andA. Eliassen in the
1960s that the Rocky Mountains and the Tibetan
Plateau could, through a Coriolis force mechanism,
generate standing planetary waves in the Northern
Hemisphere that would have their own influence on
global climate and would interact with drifting plan-
etary waves generated by other processes. This
suggestion has received considerable attention from
researchers using general circulation models (GCMs),
including a clevermountain/no-mountain comparison
technique. The basis of this method is a supercompu-
ter-based GCM that has been tested in its ability to
predict, from first principles, the statistics of the
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planetary wave structure in the Earth’s atmosphere.
With such a numerical model, it is a relatively simple
matter to remove the Earth’s mountains from the
lower boundary conditions of the model. Comparing
the mountain (M) and the no-mountain (NM) runs,
allows one to determine the role of the mountains in
the distribution of climate. The results indicate that,
indeed, the amplitude and phase of planetary waves
are significantly influenced by the major mountain
ranges.

This result is of more than theoretical interest. Over
the 4.6 billion year history of theEarth,mountain belts
have been created and destroyed by repeated cycles of
crustal plate collision and erosion. Thus, in addition to
other climate influences such as the variations in solar
intensity, orbital parameters, and atmospheric com-
position, the changingdistributionofmountains could
have modified the Earth’s climate. On the shorter time
scale of a hundred thousand years, large continental
glaciers have cyclically grown and decayed. A good
example is the Laurentide ice sheet in eastern Canada.
These massive ice sheets behave much like mountain
ranges; altering both local and global climates. The
Greenland ice cap, with its peak altitude near 2800m,
plays a significant role today in modifying weather
patterns and trapping water vapor in the North
Atlantic region.

In the future, mountain meteorology will continue
to challenge scientists with the chaotic nature of
its fluid dynamics and the sensitivity of orographic
effects to the precise details of the ambient flow
and solar radiation fields. Powerful new observational
tools such as remote sensing radar and lidar will
allow three-dimensional air flow and cloud fields
to be mapped. Numerical models with ever-increasing
spatial resolution, run on supercomputers, will
stimulate research on nonlinearity and the
complex interactions between fluid dynamics, cloud

physics, and radiation. If successful, these investiga-
tions will lead to improved weather prediction and
increased understanding of ancient and modern cli-
mates.

See also
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Introduction

Noctilucent, or ‘night luminous’, clouds are the
highest and coldest clouds on earth. Occupying a
narrow height zone near the high-latitude mesopause
region (80–85 km), they occasionally offer a splendid
sight during northern summer twilights (Figure 1).
Their almost phosphorescent appearance against a
darkened sky is due to the fact that at these extreme
heights, they are still fully illuminated by the sun. In
the latitude zone 50–651, the upper air remains fully
illuminated throughout the night while the lower
atmosphere is in comparative darkness. Since meso-
spheric clouds are too faint to be seen during daytime,
and their detection can be confused by ordinary
tropospheric clouds during twilight, their occurrence
only at solar depression angles between 61 and 161
(Figure 2) is crucial to their identification. Northern
noctilucent clouds (NLCs) have their southern coun-
terpart occurring in similar latitudes and times during
the austral summer.

Brief History

NLCs were first recognized as an upper atmospheric
phenomenon in the summer of 1885, when observers
throughout western Europe, Great Britain, andRussia
reported unusual cloud displays enduring past mid-
night. TW Backhouse and VK Tserassky share credit
for their ‘discovery’, although it is not suspected that

their late-nineteenth-century appearance may have
been the debut of a new effect, a result of anthro-
pogenic influences (to be described later).

Through the method of triangulation, Otto Jesse,
Tserassky and others determined that NLCs are the
highest clouds on earth, located at a mean height of
8275 km. NLCs (in German: leuchtende nachtwol-
ken; in Russian: serebristykh oblakov) are important
in the history of atmospheric science, as they provide
proof that the atmosphere extends to much greater
heights than previously imagined. It was established
quite early that the appearance of NLCs is quite
sporadic, varying from location to location and from
day to day. In addition, because many locations at
these latitudes have poor observing conditions (rain
and overcast skies), it was deemed important to
establish a network of geographically dispersed ob-
servers. Reports from widely varying locations could
thus determine the spatial extent and motions of
mesospheric clouds from night to night. It was hoped
by organizers of the early observing networks (such as
Paton in Scotland and Khostikov in the USSR) that
such systematic sightings would provide information
about the dynamical and thermal conditions of the
upper atmosphere. While many thousands of detailed
observations (both visual and photographic) describ-
ing NLC appearance, brightness, and drift velocities
have been collected since the 1920s, the early expec-
tations were never realized. We now understand that
observations of the apparent drift motion of clouds
were the result of phasemotions of atmosphericwaves
rather than that of the underlying winds. In addition,
the absence of any substantial information on the
physical conditions in the upper mesosphere made it

Figure 1 Photograph of an NLC. Taken on 13/14 July 1983 2140 UT (about 2300h local time). Camera details: f/2, 50mm lens,

Kodachrome K64 film, exposure unknown (probably about 30 s).
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difficult to fashion credible theories with useful
predictive capabilities. The most significant result of
these early efforts was to establish the seasonal
‘climatology’ of occurrence probability. However,
these early records may yet prove to be of immense
value in documenting the evolution of the mesosphere
throughout the twentieth century.

Occurrence Patterns

NLCsoccur almost exclusively at latitudes higher than
501, and only during summer. They exist betweenmid-
May and mid-August in the Northern Hemisphere,
and at similar times of the year (relative to solstice) in
the Southern Hemisphere. In North America, they
occurmainly in Canada andAlaska, although they are
now reported several times a year in North Dakota.
Occasionally there are reports of ‘out-of-season’
clouds, many of which can be discounted. It is
interesting that most such reputable sightings have
occurred in Antarctica. The NLC ‘season’ is about 90
days long, with peak occurrence a few weeks after
summer solstice. Spotting an NLC is not at all assured
even during clear tropospheric conditions, and even
for a keen-eyed observer at optimum latitude (about
551). At 60–651, where the summertime twilight
obscures the optically thin clouds until later in the
season, they are best seen in early August. Above 701,
they are seldom observed – by the time twilight has
returned, the clouds have vanished. (The physical

factors controlling their evolution will be discussed
later.) Until recently, NLCs were virtually unknown
below about 451 latitude. However, a remarkable
NLC display was sighted on 22/23 June 1999 from
locations in the western US and Canada. It was
determined later from six widely separated reports
that the clouds extended from Canada deep into the
western US, as far south as Ignacio, CO (381N). The
significance of this rare event is not clear: it may signal
the beginning of an era in which NLCs are visible to a
much greater population than previously, or it may
have been simply an extreme fluctuation of a naturally
variable phenomenon.

The Modern Era: The Discovery of the
Mesopause

Three developments have created renewed interest in
NLCs: (1) When their merit as a possible sensitive
proxy of upper atmosphere ‘climate’ change became
evident, to be discussed later. (2) When a closely
related phenomenon was discovered, that of polar
mesosphere summertime echoes (PMSEs). At some
locations, radar sounding of PMS ‘echoes’ has made it
possible to monitor the high-latitude mesospheric
region round the clock. (3) Recent developments in
atmospheric lidar technology (lidar stands for light
detection and ranging). Themost advanced lidars have
made it possible to monitor NLCs even in broad
daylight. In addition, a key discovery was made in
1959when rockets were used to probe the region. The
temperature structure was derived by measuring the
speed at which sound waves travel from grenades
launched from rockets at regular intervals. The sound
was registered by microphones mounted on the
rockets and the information telemetered to a ground
receiving station. The upper mesosphere where the
clouds occur was found to lie near a temperature
minimum (now called the mesopause). It underlies the
uppermost, much hotter region of the atmosphere,
known as the thermosphere. This discovery immedi-
ately clarified the nature and origin of NLC. It is now
known that the high-latitude summertime mesopause
region is the coldest region on Earth, routinely
reaching temperatures below140K.Water-ice crystals
are stable in such cold air, even under the extremely
desiccated conditions of the upper atmosphere. Ice
particles form in the cold layer of air near the
mesopause, and survive a few hours (possibly as long
as 3–4 days) until they are removed from the saturated
region by winds, diffusion, and/or gravitational set-
tling. The details of this process are complicated, and
many important aspects are still in question. They
occur at high latitude because the upper mesospheric
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temperature ismuch lower at the summer poles than at
the winter poles. This behavior is opposite to that
occurring in the lower atmosphere, where summer air
is warmer than winter air. This anomaly is now
understood tobe the result of a general upwelling of air
into the summer hemisphere (and a downwelling in
wintertime), caused by the deposition of wave mo-
mentum. An additional benefit to summertime cloud
formation is that more moisture and seed particles
(deposition nuclei) are transported upward from the
moister stratosphere into the summertime mesopause
region.

The full extent of the mesospheric cloud layer was
not revealed until the space age. As mentioned
above, NLCs cannot be observed north of the
Arctic circle because of the ‘white nights’ pheno-
menon during summer. In 1969, satellite-borne in-
struments revealed a daytime mesospheric layer
that extended to the geographic pole. The presence
of this much thicker and more pervasive mesospheric
cloud layer (today known as polar mesospheric
clouds (PMCs)) meant that the phenomenon is essen-
tially circumpolar, with the densest clouds at the
geographic pole. Despite the two different acronyms
(NLC and PMC), there is no evidence for any inherent
differences between the two phenomena. NLCs
are now understood to be the thinner and spatially
patchy boundary region of PMCs. Although the
situation is undoubtedly more complicated, NLCs
are analogous to icebergs, which have ‘broken off’
from the main body and possibly ‘drifted’ down to
lower latitudes.

Atmospheric waves launched upward by distur-
bances in the lower atmosphere (e.g., storm fronts)
and by the diurnal variation of solar heating
have a profound influence on both the environment
of mesospheric clouds and the cloud particles
themselves. These so-called gravity waves (or buoy-
ancy waves) and atmospheric tides affect the thermal
and dynamical state of the summertime mesosphere.
In their upward passage through the progressively
thinner air, the waves attain larger and larger
amplitudes. Due to the filtering action of the under-
lying seasonally varying winds, the waves that
reach the mesopause also vary seasonally in their
east–west direction. In the 80–120 km region they
break down into turbulence, in a similar fashion to
ocean breakers on a beach. The absorption of these
waves causes air to be accelerated westward in
summer and eastward in winter. This seasonal accel-
eration of the winds causes a chain of events, among
them an upward lifting/cooling of the air in summer, a
summer-to-winter – circulation, and a sinking/warm-
ing in winter. Typical wave structure in NLCs is
apparent in Figure 1.

The two-level structure of the mesopause region is
of particular interest. It has been proposed that two
mesopause ‘states’ exist: the regular mesopause at
about 100 km and the summer mesopause at about
88 km. The regular mesopause occurs throughout the
globe during the nine non-summer months, and year-
round in the tropics. It has a nearly constant temper-
ature of 180K. In contrast, the summer mesopause
temperature occurs only at midlatitudes up to the
pole, and varies considerably in height with latitude
(Figure 3). NLCs occur in the cold high-latitude
portions of the summer mesopause, where mean
temperatures fall below 145K during several months
around the June and December solstices. As described
by a model simulation, Figure 4 summarizes this
behavior in schematic form. It must be noted that, at
any given instant, waves may severely alter the
temperature profile to such an extent that the meso-
pause itself may be hardly recognizable.

Saturation as a Necessary Condition
for Clouds

Water-ice particles occur in the atmosphere as a result
of the ice surface temperature falling below the frost
point Tf. The value of Tf depends on (a) the amount of
water vapor present w, the volume mixing ratio; and
(b) the total atmospheric pressure p, according to the
formula

Tf ¼ 6077:4=½37:759� lnðwÞ � lnðpÞ�

wherew is expressed in parts permillion (ppmv) and p
is in hectopascals (more conventionally known as
millibars). A nominal range of values ofw appropriate
to NLC heights is 271ppmv. p is a strong function of
height and is about 0.0004mbar at 84 km. For the
above range ofw, Tf is 14272K. As shown in Figures
3 and 4, the condition for ice existence is satisfied for
mean summertime conditions at, for example, 691N
but not at 541N. Despite the lack of saturation in the
mean state, NLCs actually occur somewhat farther
south. These occasional forays into sub-Arctic lati-
tudes is explained by cold fluctuations in temperature,
which temporarily saturate the atmosphere. Ice crys-
tals will then form and grow until the next warm
episode, when the ice crystals quickly ‘evaporate’
(more accurately sublimate). Since the theoretical
growth rate depends on the uncertain amount ofwater
vapor (water in the gaseous phase) available for ice
formation, it is preferable to use observations to
determine whether waves enhance or destroy ice
particles. There is limited evidence that waves have
an overall destructive influence on the brightness of
NLCs.

NOCTILUCENT CLOUDS 1409



Even if the air is saturated, ice particles are not
necessarily present. In very clean air, high levels of
saturation are needed in order for water vapor to
spontaneously transform to ice. However, preexisting
aerosols will serve as sites on which ice particles will
grow. These ‘seed’ particles may be either ‘smoke’
particles recondensed from the frictional ablation of
meteors or large hydrated ions that are stable only at
low temperature. A third possibility is sulfuric acid
(H2SO4) ice particles that are expected to condense
from the vapor phase at the mesopause. H2SO4 is
transported upward from the stratospheric sulfate
layer in the same upward flow as water vapor. Despite
our ignorance of the nature of the nuclei, there appears
to be a plentiful supply from outside the region.

Size and Charge Distribution of
Mesospheric Ice Particles

Mesospheric ice particles find themselves in a medium
that is weakly ionized (the 80–100 km region consti-
tutes the lowerD-regionof the ionosphere). The highly
mobile electrons stick readily to ice particles, produc-
ing a net negative charge. Despite their small size

100

90

80

70

A
lti

tu
de

 (
km

)

180

170
160
150

140

130

18
0

170

150
160

200

170

180
200

200

110 160 210 260
Day number

Zonal mean temperature (K), Lat. 67.5°

Zonal mean temperature (K), day 170

(A)

100

90

80

70

A
lti

tu
de

 (
km

)

0 30 60 90
Latitude (deg)(B)

200

18
0

170 160

180

150
160

170
180

200

200

200

220

140
130

Figure 3 Isotherms in the 70–100 km atmospheric region,

derived from a comprehensive 3D general circulation model

(TIMED-GCM) of the upper atmosphere: (A) plotted against day

number and height at 67.51N, and (B) plotted against latitude and

height near northern summer solstice (day 170). Shaded areas

emphasizesaturation regions forwater ice, i.e., regionscolder than

142K, where ice particles can exist at water vapor mixing ratios of

2 ppmv. Note the transition from the summer mesopause to the

regular mesopause at 301N.

220

200

180

160

140

120
0 2 4 6 8 10 12

Month

Te
m

pe
ra

tu
re

 (
K

)

105

100

95

90

85

80

A
lti

tu
de

 (
km

)

0 2 4 6 8 10 12
Month

105

100

95

90

85

80

A
lti

tu
de

 (
km

)

_90 _60 _30 0 30 60 90
Geographic latitude

(A)

(B)

(C)

86 km

98 km

41°
54°

69°Frost-point

Figure 4 Schematic variations of temperature versus time in the

season, and versus latitude. (A) Temperature versus month

(05 Jan 1) at three latitudes for the heights 86 km (solid line) and

98 km (dashed line). These two heights correspond to that of the

summertime mesopause and the regular mesopause, respective-

ly. The dotted line indicates the frost point temperature, below

which ice particles are stable. (B) Mesopause altitude at midlati-

tude and at polar latitude. The dotted vertical lines indicate year-to-

year variability in the time (or latitude) at which the sharp transitions

occur. (C) Latitudinal variation of mesopause altitude in May/June.

1410 NOCTILUCENT CLOUDS



(typically a few nanometers), the ice particles may be
sufficiently numerous to scavenge the ionosphere of its
local electron content, at least in narrow layers. Since
meter-scale irregularities in the electron density (more
correctly index of refraction) produced by turbulence
are responsible for radar wave reflections, ice particles
are thus indirectly responsible for the very strong radar
echoes reflected from the cold summertimemesopause
region (the PMSE phenomenon, mentioned above).
Despite the fact that this theory is yet to be verified in
detail, it seems to explain most of the observations.

The small particles believed to be responsible for
PMSEs are invisible in the optical spectrum. It is
necessary for the particle size to exceed a fractional
part (say about one-tenth)of the wavelength of light
before their cross-sections are large enough to be
visible through scattering of sunlight. The smallest
wavelength at which mesospheric clouds have been
observed is in the ultraviolet at about 215 nm. Thus,
mean ice particles sizes must exceed B20 nm before
they can be said to be qualify as mesospheric cloud
particles. It is important to note that only a small
fraction (a few tens to a few hundred per cubic
centimeter) of candidate particles actually grow to
optically visible sizes. These ‘large’ ice particles (20–
60 nm) are probably those which began their lives on
nucleating particles only slightly larger than their
neighbors. Larger particles have lower surface ener-
gies Es, and because the rate of deposition is expo-
nentially dependent on Es, they compete much more
efficiently for the available moisture.

The above picture of the evolution of ice particles is
consistent with many observed properties of PMC/
NLC and PMSE. However, many details are still
lacking. We still do not know the nature of the nuclei,
the effective lifetimes of ice particles, their relationship
to turbulence, how atmospheric waves influence the
particles, how seasonal variations of water vapor and
temperature changes force the various cloudproperties,
etc. Such questions are subjects of current research. In
the following, we outline some of the ideas behind the
current interest in mesospheric clouds.

Long-Term Trends in NLCs:
Atmospheric Methane Changes

The first appearances of NLCs occurred 2 years after
the great eruption (in 1883) of theKrakatoa volcano in
Java (now Indonesia). It was once thought that the
1885 ‘discovery’ of NLCs was due to the increased
attention of observers of the volcanically perturbed
twilight skies. A recent alternate historical perspective
advanced in 1989 held that the 1883 eruption had a
transitory effect on NLCs, either by injecting nucleat-

ing particles and/or water vapor into the stratosphere.
(The 2-year time lag is consistent with model calcu-
lations for the interval needed to transport material
from the middle stratosphere to the mesosphere.) The
atmosphere eventually cleansed itself of this material,
and NLCs declined toward the end of the century.
However,NLCs reappeared during the early twentieth
century, despite the absence of large volcanic erup-
tions. The twentieth-century prominence of NLCs
may have been caused by increasing levels of water
vapor, produced by increased concentrations of at-
mospheric methane (CH4). Chemical analysis of air in
ice bubbles trapped in the polar ice cores shows that
since the industrial revolution, CH4 concentrations
have more than doubled in the lower atmosphere.
These molecules make their way upwards into the
stratosphere through upward transport by winds, and
are broken down by sunlight into hydrogen and
carbon compounds. The hydrogen compounds even-
tually are re-formed into water vapor through oxida-
tion reactions. A second source of upper atmospheric
water vapor is the amount that is transported upward
through the cold ‘barrier’ of the tropical tropopause. It
happens that most of the vertical exchange between
the lower troposphere and the stratosphere takes place
at low latitudes, where the air is vigorously uplifted by
convection over the warm tropical oceans. However,
the tropical tropopause (at about 18 km) is extremely
cold, and freezes out nearly all the moisture from the
ascending air. Thus the originally moist tropical air,
once it makes its way into the mesosphere, is respon-
sible for only about half of theminisculewater content
of the mesosphere. The other half is attributed to the
oxidation of CH4. Unlike H2O, this molecule does not
freeze out in the tropopause ‘cold trap’. The H2O
mixing ratio is about 6–7 ppmv at 50 km, but at higher
altitudes this amount is reduced to a fewppmvbecause
of destruction due to solar photodissociation.

The net result of the growth of anthropogenic
methane is that water vapor at all heights, and in
particular near the mesopause, has increased by about
20–25% since 1885. According to a detailed model of
ice evolution, this small increase of water could have
caused a factor of 10 increase in the brightness ofNLC
particles (Figure 5). This nonlinear behavior is ex-
plained by more particles being formed in a more
saturated environment, and, in addition, becoming
larger before being lost from the region. The latter
factor is important because of the high sensitivity of
the scattered brightness I of small particles to particle
radius r (IBr6). However, visual observations have
revealed noobvious increases in the brightness ofNLC
displays over the past 30 years. Yet cloud numbers
have changed substantially over this time period. Since
there were no quantitative measurements of cloud
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brightness until the modern era, the methane hypoth-
esis remains a viable explanation for the slow rise in
prominence of NLCs in the twentieth century. How-
ever, the CH4 hypothesis has difficulty in explaining
recent dramatic changes in NLC occurrence frequen-
cy. This is because of the glacial pace of expected
methane-related water vapor increases (4% per dec-
ade). As shown in Figure 6, NLC numbers have more
than doubled over the past 30 years, a rate that seems
to require an additional forcing mechanism. None-
theless, it appears that NLCs are at least partially an
indirect result of anthropogenic alteration of the
atmosphere’s chemistry. The slow rise in CH4 abun-
dance is due to increased biological sources in rice
paddies, landfills, domesticated animals, etc., although
industrial sources, such as mining, have a small
influence. In fact, CH4 is a direct result of life on the
planet. On a totally lifeless planet, otherwise similar to
our own, there would be noCH4 at all. In a sense, NLC
can be thought of as a product of life on Earth.

Long-Term Trends in NLCs:
Atmospheric Carbon Dioxide Changes

Another important factor in the evolution of the
mesopause temperature is increased carbon dioxide
(CO2). Rather than altering the chemistry of the
mesosphere, the rather inert CO2 molecules change
the thermal environment because of their ability to
absorb and radiate infrared radiation. CO2 increases
due to growing anthropogenic activity may be the
main culprit in the observed 21C surface warming that
has occurred over the past 25 years. More CO2 means
more downward emitted infrared radiation, thereby
heating the surface. However, its increased radiation
to space causes the upper air to cool. Thus, upper
atmospheric cooling appears to be a necessary accom-
paniment to lower-level atmospheric greenhouse
warming. Since 1885, CO2 has increased by about
25%, from 300 to 370 ppmv. One recent model
predicts that this increase should have caused a
globally averaged cooling of 2.5K. However, as
discussed below it is not clear that the high-latitude
summertime mesopause has participated in a net
cooling over the past century.

Interdecadal Changes in NLC

Figure 6 shows how the number of sightings of NLCs
have increased in recent decades. This plot shows the
number of NLCs recorded per summer season by a
network of experienced observers from 1964 to 1997.
The time series indicates both a periodic solar control
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ofNLC (over an 11 year cycle of solar sunspot activity)
and anupward trend.Whether the periodic behavior is
due to the 11 year solar cycle is not clear – the times of
maximum sunspot activity were in 1958, 1969, 1980,
and 1991. Thus each solar maximum occurs about 2
years prior to the minimum in NLC occurrences. The
anticorrelation with solar UV irradiance (which is in
phase with sunspot activity) is not unexpected, but the
2 year time lag suggests a more complicated mecha-
nism than simple UV heating and water vapor disso-
ciation. An equally interesting trend is the upward
increase in the number of NLC sightings. This
indicates that NLCs have more than doubled since
1964. This is despite the number of observers remain-
ing nearly constant over this time interval.

What could have caused this dramatic increase in
NLC numbers since 1964? As mentioned previously,
CH4 oxidation can account for only a fractional part
of this change. Now that direct measurements of
mesospheric composition from satellites are available
over long time intervals, we know that the upper
atmospheric water vapor in the past decade has
undergone more complicated changes than expected
from the slowCH4 increase (currently 0.5%per year).
The observed year-to-year variations in upper atmos-
pheric water vapor in the last decade may be due to
poorly understood alterations in the overall circula-
tion responsible for the exchange of air between the
troposphere and the stratosphere/mesosphere. In ad-
dition, the observed changes of mesospheric temper-
ature have been more dramatic than the models
predict. In fact, some data sets are now coming to
light which indicate that portions of the mid-meso-
sphere (B70 km) have cooled bymore than 20K in the
past 30 years. Assuming these data are reliable, there
must have occurred important time-varying influences
that are not captured in the current models. Although
the database for the mesopause temperature is not
much longer than one 11 year solar cycle, the evidence
from airglow measurements suggests only small
(o1K/decade) long-term cooling rates occurring in
the uppermost mesospheric region (87 km). It appears
that the trends themselves have important height and
latitude variations. There appears to be no ‘smoking
gun’ responsible for the long-term changes in NLC
observations. The search continues for a viable
mechanism.

Possibilities of Future Changes in
NLCs

With regard to future changes, the modeled increased
size of the ‘NLC existence region’ due to a doubled
CO2/CH4 environment is shown in Figure 7. This

situation is expected to occur late in the twenty-first
century. (This model predicts that the NLC region will
participate in future cooling of the middle atmos-
phere.) The effects are to enlargen dramatically the
saturation region from its current location at
moderately high latitudes. Future NLCs could
occur on a regular basis as far Equatorward as 401
latitude. A possible scenario is thatNLCs could slowly
evolve to occupy a large fraction of the summertime
hemisphere. It should be kept in mind that the
arguments above predict slow changes that are hardly
perceptible over a single human lifetime. Nature has a
way of disproving our theoretical scenarios. As
already mentioned, a large NLC occurred in the
western US in 1999, long before it was expected from
CO2 increases.

Although short-term effects are understood in terms
of low temperatures and wave perturbations, at the
present time there is no consensus as to the principal
‘forcing agents’ or ‘drivers’ of long-termNLC activity.
Neither is there agreement on the nature and magni-
tude of long-term trends in the thermal or composit-
ional structure of the mesosphere. Whether NLC
variability is due to changes in water vapor, temper-
ature changes, or some combination (or possibly some
other influences such as wave activity) is still un-
known. More data are needed in this hard-to-access
region over time scales of decades. The best hope for a
breakthrough in understanding this phenomenon is a
satellite mission making global observations of PMCs
and all the suspected forcing variables. NLCs are
providing us with a coded signal that changes have
been underway in the upper atmosphere for some
time, are continuing today, andmost likely will evolve
in the future with unknown consequences. Unfortu-
nately, we have not yet ‘broken the code’ (Table 1).
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Introduction

Chemical models are used to test our understanding of
atmospheric chemistry, and for predictions of the
future state of the atmosphere. A model will contain
different modules to treat processes such as gas-phase

Table1 Fivescenarios for past, present, and futuremesospheric

climate simulations

Scenario Date/epoch CO2

(ppmv)

CH4

(ppmv)

Latitude

boundarya

(1)

1 Glacial 165 0.75 67

2 1895 290 0.9 63

3 Present 330 1.5 55

4 Late 21st

Century

660 1.5 43

5 Late 21st

Century

660 3.0 39

aThe latitude boundary is defined as the latitude where the frost

point temperature is Tf55, which provides the best value describ-

ing the current-day climatological boundary of NLCs at 551N.
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chemistry, aqueous phase chemistry, heterogeneous
chemistry, photolysis reactions, and emission and
deposition of species. The formulation of the model
will depend on the problem being studied. The core of
any model is the chemical continuity equation, which
is an expression of the rate of change of a chemical
species. Integrating this continuity equation permits
the model to step forward in time. In general the large
computational cost of calculating atmospheric chem-
istry leads to a number of approximations in models,
such as using grouping species into families and
assuming some species are in steady state. Models
that are used to study atmospheric chemistry range
from zero-dimensional ‘box’ models, which may
contain very detailed chemistry schemes (e.g., 3000
species), to global three-dimensional models which
may contain around 50.

Use of Models

Numerical models are a mathematical summary
of our current understanding of atmospheric chemis-
try. A good model should contain a representa-
tion of all of the important species, reactions, and
processes relevant for the particular system that
is being studied. A numerical model can then be
used for:

� testing our understanding of atmospheric chemistry
by comparison between model calculations and
observations;

� investigating the effect of a newly discovered reac-
tion or process on other species;

� predicting the future state of the atmosphere based
on a series of assumptions.

The components of the model (physical and chemical
processes considered, number of chemical species and
reactions)will depend on the problem being addressed
(e.g., spatial and temporal scale). The model needs to
have an appropriate domain (e.g., global, regional),
resolution (e.g., size of gridboxes) and time step. The
model must contain all of the necessary processes,
but other factors (usually computer resources) often
constrain those that can be included.

Components of a Chemical Model

In order to calculate the time-dependent concentra-
tions of chemical species in the atmosphere, a model
must contain a representation of the important chem-
ical and physical processes. Figure 1 illustrates these
components and how they are used in each model
timestep to calculate the chemical concentrations.

Gas Phase Reactions

Allmodels of atmospheric chemistrywill dealwith gas
phase reactions between species. Laboratory meas-
urements provide data which can be used to calculate
the rate constants for gas phase reactions in models.
For bimolecular reactions the rate constant usually
depends only on temperature and can be calculated
from the Arrhenius equation (eqn [1]), where k is the
rate constant at a temperature T, Ae is the Arrhenius
factor, Ea is the activation energy, and R is the gas
constant. The values for Ae and Ea are provided by
laboratory data.

k Tð Þ ¼ Ae exp �Ea=RTð Þ ½1�
Other expressions are used to fit certain bimolecular
reactions which show a pressure dependency (e.g.,
HNO31OH) and termolecular (three body) reactions.

Expert panels regularly review the body of chemical
kinetics literature and produce reports of recommend-
ed rate constants for use in atmospheric models. As
well as providing modelers with an expert analysis of
photochemical data, their common use permits model
results to be referenced and for predictions from
different models to be more easily compared.

Liquid Phase Reactions

Models dealing with tropospheric chemistry will need
to account for the uptake of gases by cloud droplets,
and chemical reactions within the clouds (aqueous
chemistry). This gas uptake and reaction involves
several steps (diffusion of gas to droplet, dissolution in
droplet, diffusion through droplet, reaction in droplet,
diffusion of products, and evaporation of dissolved
products at the droplet surface). Treating aqueous
chemistry in a model is more complicated than gas
phase chemistry. First, the lifetimes of aqueous species
are usually short and the system of differential
equations to solve is stiff (see below). Second, when
dissolved species are removed by reactions they are
rapidly replaced by dissolution of more species from
the gas phase. Therefore, the processes of dissolution
and chemical reaction need to be solved in a coupled
way.

Heterogeneous Reactions

Heterogeneous reactions involve the collision of a gas-
phasemoleculewith a solid or liquid particle, followed
by a chemical reaction. An example is the hydrolysis of
N2O5 shown by reaction [I].

N2O5 gð Þ þH2O aqð Þ ! 2HNO3 gð Þ ½I�
This reaction is normally parametrized in models
using a measured ‘reaction probability’ (g) that an
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N2O5molecule colliding with a surface will react, and
a ‘collision frequency’ calculated using kinetic theory
and the known or assumed concentration of aerosols.
This treatment can also be used for heterogeneous
reactions involving solid particles. An alternative
treatment for liquid aerosols, when both reactants
are soluble, is to treat the reaction as a liquid-phase
reaction (as above).

Photolysis Rate Coefficients

The photolysis rate coefficient (or photodissociation
frequency) J is the first-order rate constant for the
process shown by reaction [II], where h is the planck
constant and n is the frequency of the radiation.

ABþ hn ! Aþ B ½II�
As solar radiation is the driving force for atmospheric
chemistry, the accurate calculation of J rates is an
important component of models.

The photolysis rate coefficient for species AB (JAB) is
calculated from eqn [2], where Iðl; zÞ is the photon
flux at wavelength l and altitude z in the atmosphere,
and s is the absorption cross-section.

JAB zð Þ ¼
Z

I l; zð ÞsAB lð Þdl ½2�

In an atmospheric model eqn [2] is solved by replacing
the integration over wavelength by a summation over
discrete wavelength intervals. The World Meteoro-
logical Organization Report No. 16 gives a list of 158
wavelength intervals, covering the range 175 nm to
850 nm, which are typically used in stratosphere–
troposphere models. Fewer wavelength intervals can
be used for troposphere-only models to save computer
time.

The photonflux at a point in the atmosphere, Iðl; zÞ,
is calculated using the flux at the top of the atmosphere
and the Beer–Lambert law,

Itr ¼ I0 expð�eclÞ ½3�

where I0 is the incident radiation, Itr is the transmitted
radiation, e is the absorption (or extinction) coeffi-
cient, c is the concentration of the absorber and l is the
path length. The flux at altitude z depends on
attenuation by absorbing gases (mainly O2 and O3),
scattering bymolecules and aerosols, and reflection by
the surface and clouds.

Models may calculate an instantaneous value of J,
or an average value over daylight or 24 h period. An
instantaneous and regularly updated value of J is
necessary for amodel to reproduce the diurnal cycle on

Heterogeneous/
aqueous
chemistry

Gas phase
chemistry

Photolysis
rate
calculation

Physical removal:
wet/dry deposition

DynamicsRadiation

Radiative heating:
   longwave (IR)
   shortwave (UV)

Lagrangian − trajectories

Eulerian − advection
convection

Chemistry

Chemical continuity equation
d[AB]/dt = sources − sinks

Emissions:
natural/
anthropogenic

Figure1 Components of a chemicalmodel. Amultidimensionalmodelwill also include dynamical and radiationmodules. Thesemaybe

combined so that the chemistry is or is not coupled (where changes in chemical species feed back on the radiation and dynamics).
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short-lived species (e.g., OH).However, this approach
can be expensive computationally. For simulations
of long-lived species, where it is not necessary to
explicitly resolve the diurnal cycle, day- or 24-h
averaged J rates can be used. As the interactive, online
calculation of J rates is nevertheless expensive, some
models use precalculated ‘lookup’ tables. The J for the
required conditions is interpolated from the tabulated
values.

Emissions and Physical Removal

All chemical models, except those simulating isolated
air masses over short periods, require a representation
of the processes that input and remove chemicals from
the atmosphere. Emissions of trace gases may occur
through natural (e.g., vegetation) or anthropogenic
processes (e.g., industrial emissions, aircraft). Expert
panels regularly review the strength of these emission
sources and provide data sets for input into models
[e.g., the Global Emissions Inventory Activity (GEIA)
of the International Global Atmospheric Chemistry
(IGAC) program].

Chemical species may be physically removed from
the atmosphere by wet or dry deposition processes.
Dry deposition removes gases and particles at air–
surface interfaces. Wet deposition involves the disso-
lution of a gas into a cloud droplet, which is then
rained out.

Chemical Continuity Equation

Chemicalmodels aim to use the known concentrations
of chemical species at time t, and calculated rates of
change, to calculate the concentrations at the end of
the chemical timestep t þ Dt. The heart of the model is
‘chemical continuity equation’. This is an expression
for the rate of change of a chemical species due to the
chemical reactions that produce or destroy it. It is an
expression of the conservation of mass and can be
expressed as eqn [4], where P is the rate of chemical
production and L is the rate of chemical loss (which
usually depends on [AB]), and square brackets ([])
indicate a concentration. Other terms can be included
in eqn [4] to account for other processes that affect
[AB] (e.g., physical removal).

d AB½ �
dt

¼ P� L AB½ � ½4�

Table 1 lists a small subset of the �100 reactions that
are important in the chemistry of the stratosphere.
This subset is used here to illustrate the form of a
continuity equation, but note that detailed atmos-
pheric models will include many more species and
reactions. There are three reactions in Table 1 which

either produce (reaction [X]) or destroy (reactions [XI]
and [XII]) HNO3. Based on this reaction set the
chemical continuity equation for the rate of change of
the concentration of HNO3 contains three terms and
can be represented as [5],

d HNO3½ �
dt

¼ kX OH½ � NO2½ � M½ � � kXI OH½ � HNO3½ �
� JXII HNO3½ � ½5�

where kn is the rate constant for reaction n and Jn
is the photolysis frequency. A continuity equation
can be written for each chemical species contained in
the model. This gives a set of coupled first-order
ordinary differential equations. In all but the very
simplest cases (e.g., the decay of a radioactive
tracer), an analytical solution is not possible and the
coupled differential equations must be solved numer-
ically. This system of differential equations is usually
‘stiff’, i.e., the lifetimes (or time scales) of the chemical
species being solved vary by several orders of magni-
tude (e.g., seconds to years). Therefore, sophisticated
(and computationally expensive) solvers need to be
used.

A chemical continuity equation similar to [4] can be
written for each species contained in the reaction
scheme. However, in practice a number of conceptual
simplifications and numerical approximations can be
made.

Table1 Subset of gasphase reactions important in stratospheric

chemistry

ClþO3 ! ClOþO2 ½III�

ClOþO ! ClþO2 ½IV�

ClOþ NO ! Clþ NO2 ½V�

ClOþ NO2 þM ! ClONO2 þM ½VI�

ClONO2 þ hn ! Clþ NO3 ½VII�

OHþ HO2 ! H2OþO2 ½VIII�

Oð1DÞ þ H2O ! 2OH ½IX�

OHþ NO2 þM ! HNO3 þM ½X�

OHþ HNO3 ! H2Oþ NO3 ½XI�

HNO3 þ hn ! OHþ NO2 ½XII�
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Photochemical Steady State

For a chemical species with a very short chemical
lifetime it is not necessary, or desirable, to integrate the
chemical continuity equation. The short lifetime
increases the stiffness of the system and would require
a short chemical time step. Computer time can be
saved by placing short-lived species in steady state.

In the chemistry of the stratosphere and tropo-
sphere, the chemical lifetime of OH is of the order
minutes or less. Therefore, the concentration of OH
can be derived by placing it in photochemical (or
photostationary) steady state. Based on the reaction
scheme given above, this would give eqn [6].

d OH½ �
dt

¼ 0

¼ 2kIX O 1D
� �� �

H2O½ � þ JXII HNO3½ �

� kX OH½ � NO2½ �½M� � kXI OH½ � HNO3½ �

� kVIII OH½ � HO2½ � ½6�
Therefore, at each time step in themodel the [OH] can
be derived from the calculated concentration of other
species and the appropriate rate constants and pho-
tolysis rates. The calculated concentration of OH
will vary throughout the diurnal cycle (e.g., as JXII

changes), although at each time step the instantaneous
concentration is assumed to be constant. Note that as
several interdependent species may be treated to be in
steady state (e.g., both [OH] and [HO2] in the above
example), the steady state concentration of these
species should be derived iteratively.

Chemical Families

The number of continuity equations to be solved (and
computational time) can be reduced by grouping
closely coupled chemical species together in a family.
As well as needing to solve only one continuity
equation, the photochemical lifetime of the family is
generally longer than the lifetimes of the individual
members, producing a less stiff system (see Figure 2).
Finally, using chemical families has advantages in
multidimensionalmodels. Generally, it is not desirable
to transport short-lived species separately as they have
strong gradients (e.g., near the terminator) which can
cause numerical problems (undershoots and over-
shoots) in advection schemes. A chemical family will
generally have a smoother distribution and pose fewer
problems for the advection scheme.

In stratosphericmodels aClOx family isoftendefined
as [ClOx]5 [ClO]1[Cl]. This is justified because
Cl is in rapid photochemical equilibrium with ClO,
and change in the concentration of ClOwill also affect

Cl through the reactions which interconvert the two.
When a chemical family is used in a model a single
chemical continuity equation is written for the overall
rate of change of the family. Based on the reactions
given inTable 1, the continuity equation for ClOx can
be expressed by eqn [7], where M represents any air
molecule.

d ClOx½ �
dt

¼ 0

¼ �kVI ClO½ � NO2½ � M½ � þ JVII ClONO2½ � ½7�

Note that reaction [III] for example, which simply
interconverts Cl andClO has no net effect of ClOx and
does not appear in eqn [7]. The concentration of the
total family must be divided among the n individual
members. This is achieved by writing n� 1 steady
state expressions for n� 1 members. In the case of
the ClOx family, by placing Cl in steady state
d Cl½ �=dt ¼ 0ð Þ we can derive eqn [8] for the ratio of
[Cl]/[ClO].

Cl½ �
ClO½ � ¼

kIV O½ � þ kV NO½ � þ JVIIð ClONO2½ �= ClO½ �Þ
kIII O3½ �

½8�

Although this equation is derived by assuming Cl is in
steady state, the concentration of Cl (and ClO) will
vary over the model time step as ClOx changes.
However, eqn [8] effectively fixes the ratio of Cl : ClO
over this time step.

Care is needed when deriving these expressions for
the partitioning of familymembers.Most terms in eqn
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[7] can be identified with reactions [III], [IV], and [V],
which directly interconvert Cl and ClO. However,
there is also a term involving [ClONO2]/[ClO] which
is related to the two-step interconversion of ClO and
Cl via the formation and photolysis of ClONO2. It is
very important to include these indirect terms as they
are often associated with catalytic cycles which
destroy stratospheric O3 via the reaction [III]. In order
for the model to correctly determine the O3 loss, the
calculated [Cl] must be accurate.

Another chemical family commonly used in atmos-
pheric models is ‘odd oxygen’, which is defined as
Ox5O(3P)1O(1D)1O3. This family provides a very
convenient way of calculating the atmospheric abun-
dances of O3, O(3P), and O(1D) below about 70 km.
Above this altitude the photochemical lifetime of O
becomes long (due to the low air density) and soO and
O3 can no longer be assumed to be in photochemical
equilibrium.

Mechanism Reduction

The number of species and reactions involved in
chemical reactions of organic species in the polluted
(urban) troposphere is huge. For example, the Univer-
sity of Leeds Master Chemical Mechanism model
contains around 3800 species and 10 000 reactions.
For many practical purposes the number of reactions
needs to be reduced. The methods used for reducing
the number of species in urban photochemical models
are: (i) the carbon-bond lumping method (when
organic species are separated into a few common
bond groups), (ii) the surrogate speciesmethod (where
species with similar reactivity are grouped together
and solved as one species), and (iii) the lumped species
method (where species are grouped together but the
reaction rate constants for the lumped group is a mole
fraction weighted average of the rate constants for the
individual species).

Types of Models

A range of chemical models exist appropriate for
studying different problems. In all cases the model
consists essentially of a chemical ‘box’model (with the
description of the required chemistry) either used
alone, or within an array of grid boxes in a multidi-
mensional model.

Box Models and Trajectory Models

A chemical ‘box’ model solves the chemical continuity
equations in a single air mass. These models can be
computationally cheap, allowing detailed reaction
schemes to be included (e.g., up to 500 species) and
avoiding the need for numerical approximations such

as chemical families. Box models can either represent
a stationary, idealized air mass, or can be combined
with a calculated air mass trajectory to produce a
‘Lagrangian’ model (i.e. one in which themodel boxes
follow the actual movement of air parcels). Several
chemical trajectory models can be integrated simulta-
neously to create a ‘domain-filling trajectory model’,
in which the number of model boxes is sufficient to fill
a region of the atmosphere so that 3Ddistributions can
be obtained.

Results from trajectory box models are generally
valid over the time scale on which the approximation
of no mixing in to, or out of, the box is valid. This
depends on the location in the atmosphere and may
vary from a few days in the troposphere to a fewweeks
to months in the polar lower stratosphere.

Three-Dimensional Models

Three dimensional (3D)models solve the chemistry on
a longitude � latitude � altitude array of grid boxes.
Dynamical processes are included that transfer chem-
ical species between these fixed grid boxes in a so-
called ‘Eulerian’ model. The chemical component of a
3D model is essentially a chemical box model. How-
ever, the high computational cost of a 3Dmodelmeans
that reactions schemes have to be limited (e.g., to
around 40–50 species) and some careful approxima-
tions used (e.g., families). The nature of 3D models,
with their arrays of chemical box models, mean that
they can be written to take good advantage of high
performance vector and parallel computers. Never-
theless, when included in a 3D model, the cost of
chemistry normally dominates the cost of other
processes (e.g., radiative and dynamical calculations).

The chemistry and transport in a 3D model can be
combined in an ‘operator split’ approach. In this
method the chemical integration is separated from the
dynamical integration and the advection of tracers.
This decoupling of chemical and dynamical time steps
is often more efficient as optimum time steps can be
chosen for each process (e.g., the need for a short
chemical time step does not imply an equally short
dynamical time step). A multidimensional chemical
model requires a module for transporting chemical
species – i.e., an ‘advection scheme’. The advection
scheme should ideally be: conservative,monotonic (no
undershoots and overshoots), nondiffusive (maintain
tracer gradients), and nondispersive (tracer features
should advect independent of their scale). The advect-
ion scheme should also advect species independent of
their concentration. In practice, essentially all of the
tracer advections schemes in use compromise on one
or more of these criteria.
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Two types of 3D chemical models are commonly
used. General circulation models (GCMs) are global
radiative dynamicalmodels used in numericalweather
prediction and climate studies. Chemistry can be
included in these models to produce a chemical GCM,

allowing the calculation of the coupled effects of
chemical and dynamical changes. In these coupled
models, a chemically induced change in O3, for
example, will affect the atmospheric heating rates,
temperature, and therefore the dynamics. In turn,

Table 2 Details of the SLIMCAT 3D stratospheric chemical transport model

Chemistry Coupled short-lived species Ox (5O31O(3P)1O(1D)), H2O2

NOx (5N1NO1NO2), NO3, N2O5, HNO3, HO2NO2,

ClOx (5Cl1ClO12Cl2O2), ClONO2, HCl, HOCl, OClO,

BrOx (5Br1BrO), BrONO2, BrCl, HBr, HOBr

Steady state H, OH, HO2,

CH3, CH3O2, CH3O, CH2O, HCO, CH3OOH

Source gases and long-lived species CH4, N2O, CO, H2O, CFCl3, CF2Cl2,

CHF2Cl, C2F3Cl3, CH3Cl, CH3CCl3, CCl4,

CH3Br, CBrClF2, CBrF3,

COF2, COFCl, HF

Fixed O2, N2, H2

Reactions 120 gas-phase

8 heterogeneous

36 photodissociation

Dynamics Meteorology From meteorological analyses (e.g., UK Met. Office,

ECMWF)

Tracer advection Finite volume scheme

Resolution Horizontal Variable: 101 � 101–0.51 � 0.51
Vertical Variable: 0.5–3 km

Domain Global stratosphere: 10–60 km

Computational Language Fortran

Platform Vector/parallel machines or workstation

Table 3 Details of the TOMCAT 3D tropospheric chemical transport model

Chemistry Coupled short lived species Ox (5O31O(3P)1O(1D)), H2O2,

NOx (5NO1NO21NO3), N2O5, HNO3, HO2NO2, HONO,

CH2O, CH3OOH, CH3CHO, C2H6, C2H5OOH, C2H5CHO,

C3H8, i-C3H7OOH, n-C3H7OOH, (CH3)2CO, CH3COCH2OOH,

CH3COO2NO2, C2H5COO2NO2, CH3ONO2

Steady state OH, HO2, CH3O2, CH3CO3, MeCOCH2OO,

C2H5OO, i–C3H7OO, n-C3H7OO, C2H5COO2

Long-lived CH4, CO, H2O

Fixed O2, N2, H2, CO2

Reactions 101 gas phase

27 photodissociation

Physics Deposition Dry and wet deposition

Emissions Surface (natural and anthropogenic), lightning, aircraft

Dynamics Meteorology From meteorological analyses (e.g. ECMWF)

Sub-grid Convection and boundary layer mixing

Tracer advection Finite volume scheme

Resolution Horizontal Variable: 7.51� 7.51�1.01�1.01
Vertical Variable: 0.5–3 km

Domain Global troposphere and lower stratosphere: surface – 30 km

Computational Language Fortran

Platform Vector/parallel machines
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these dynamical changes redistribute O3. As GCMs
calculate their own circulation, the results do not
correspond to a specific day, but represent the typical
behavior of the atmosphere. Therefore, the results of
GCMs need to be compared with observations in a
climatological sense.

Offline chemical transport models (CTMs) do not
calculate the atmospheric circulation. Instead the
wind (and temperature) fields are read in from another
source (e.g., meteorological analyses). This has a
number of advantages: the model is cheaper to run
compared to the full GCM and, importantly, the
model dynamics are constrained to the ‘real’ meteor-
ological situation. This permits direct comparison
between model calculations and observations. As the
circulation in CTMs is fixed, they cannot be used for
future predictions involving coupling of chemistry and
dynamics. The meteorological analyses used to force
CTMs come from weather services such as the
European Centre for Medium Range Weather fore-
casts (ECMWF), U.K. Met Office (UKMO) or the
National Centers for Environmental Prediction
(NCEP). They are produced as part of the routine
weather prediction and now usually extend from the
surface to the upper stratosphere. The accuracy of
CTM results depend critically on the quality of
these meteorological analyses and how they are
used in the model. In the stratosphere the advection
by the analyzed winds is usually the only transport
process considered, while in the troposphere the
model will usually need to parameterize ‘sub-grid-
scale’ transport processes such as convection and
boundary layer mixing. Table 2 illustrates the
chemistry which is included in a typical stratospheric
CTM while Table 3 illustrates a similar tropo-
spheric model. The stratospheric model contains
detailed halogen chemistry, while the tropospheric
model contains more hydrocarbon species. Simula-
tions of Arctic O3 depletion from the stratospheric
model are shown in Figure 3. Figure 4 shows examples
of CO and NOx distributions from the tropospheric
model.

One-Dimensional and Two-Dimensional Models

Before computer power permitted the use of 3D
chemical models one-dimensional (1D) and two-
dimensional (2D) models were widely used for atmos-
pheric studies. One-dimensional models represent
variations of tracers with altitude and were the main
tool in the 1970s and early 1980s. The models
generally represent a global mean atmosphere at
each layer and vertical motion is parametrized as a
diffusion processes. Clearly this is gross approxima-

tion of the real atmosphere and these models are no
longer used.

Two-dimensional (latitude–height) radiative dyna-
mical chemical models calculate the zonal mean
state of the atmosphere. They were the principal
computational tool in the 1980s–1990s and are still in
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Figure 3 Example results from the SLIMCAT three-dimensional

chemical transport model (see Table 2) for the Arctic winter of

1999–2000. The model was run with a horizontal resolution of 2.51
latitude � 3.751 longitude. (A) The distribution of O3 near 17 kmon

17 March 2000. The model is in good agreement with O3 sonde
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Alesund (781N). (B) The difference between the model O3 and the

‘passive’ O3 indicates the chemical destruction since 1 January
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use. Although 2D models cannot capture the motion
of stratospheric polar vortex or the longitudinal
asymmetry of tropospheric surface emissions, for

example, they are computationally cheap and are
useful for calculating a wide range of multiyear
scenarios and for sensitivity studies.
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Figure4 Example results from the TOMCAT three-dimensional tropospheric chemical transportmodel (seeTable 3) for January 1996.

The model was run with a horizontal resolution of 5.61 latitude� 5.61 longitude. The upper panel shows the distribution of CO near the

surface. The lower panel shows the distribution of NOx at 6.5 km. CO is enhanced in regions of strong emission, such as the industrial

regions of theNorthern Hemisphere and in regions of tropical biomass burning. The high levels of NOx at 6.5 km are from similar emission

sources which are then transported, for example by convection, to the mid-troposphere. (Figure courtesy of Marcus Koehler.)
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Testing Models

Given the complexities of atmospheric chemistry, and
the many interactions with other processes, atmos-
pheric chemical models can be very large programs.
Much care is needed to write the code in a rigorous
way to minimize the risk of errors. Generally the
program should make use of all of the options
available in a particular language, and on a particular
machine, to test for coding errors. When a model is
running it is validated by comparison with observa-
tions. Periodically different atmospheric models are
intercompared in international workshops to asses the
uncertainties in model calculations due to differences
in approach.

See also

Chemistry of the Atmosphere: Chemical Kinetics; Gas
Phase Reactions. Cloud Chemistry. Deposition.
Numerical Models: Methods. Radiative Transfer:
Absorption and Thermal Emission. Stratospheric
Chemistry and Composition: Overview.
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The Need for Numerical Solutions

Only in a small number of special cases can exact
analytic solutions be found for the differential equa-
tions describing the fluid dynamics, physics, and
chemistry of the atmosphere. In all other cases
solutions can be found only by approximating the
differential equations by algebraic equations and then
finding specific numerical solutions to these algebraic
equations. Because of the vast amount of arithmetic
involved, numerical solutions are virtually always
found with the aid of electronic computers.

Types of Equations

In broad terms, the method for finding a numerical
solution generally reflects the type of equation being
solved, which in turn reflects the nature of the physics
that the equation describes. For example, an equation
describing how a variable evolves in time is called a
prognostic equation. A prognostic equation is solvedby
specifying the solution at some initial time, along with
appropriate boundary conditions, and then repeatedly

using the available information to advance the solution
to the next time level. On the other hand, an equation
describing a relationship among a number of variables
all at the same instant in time is called a diagnostic
equation. The ideal gas law is an example of a local
diagnostic equation. Nonlocal diagnostic equations are
also important; theyare oftenboundary value problems
and often describe some kind of balance such as hydro-
static balance or the relationship between quasi-geo-
strophic potential vorticity and streamfunction (see
Dynamic Meteorology: Overview). They also arise in
connection with implicit time stepping schemes – see
below. Boundary value diagnostic equations require
different solution methods from prognostic equations
because the solution at anypoint in the domain depends
simultaneouslyonallof theboundaryandforcingvalues.

The equations used to model the atmosphere are
nearly always a combination of prognostic and diag-
nostic, and so a corresponding combination of nu-
merical solution methods is used.

Representation of Data; Resolution
and Aliasing

Fields like temperature and velocity are usually con-
sidered to exist throughout a continuous region of
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space and time and so contain, potentially, an infinite
amount of information. For a numerical solution to be
obtained, these fields must be represented approxi-
mately by afinite set of data values that canbe stored in
a computer. There are several possible ways to do this.

� Gridpoint representation. In gridpoint methods a
field is represented by its values at a finite set of
points called the grid or mesh points (Figure 1).

� Finite volume representation. Each value stored in
the computer represents the value of a field not at a
point but averaged over a finite volume or grid cell
(Figure 2).

� Finite element representation. Each field f is repre-
sented as a series in terms of certain basis functions
ciðxÞ (eqn [1]) and the coefficients f̂fi are stored in
the computer (Figure 3).

fðxÞ ¼
X
i

f̂ficiðxÞ ½1�

Usually the ci are simple local functions that are
piecewise constant or piecewise linear over a small
number of gird cells and zero elsewhere.

� Spectral representation. As for finite element meth-
ods, each field is represented as a series in terms of
certain basis functions, but here the basis functions
are mutually orthogonal global functions. The
simplest example in one dimension is a Fourier
series representation inwhich the basis functions are
sines and cosines (Figure 4). For modeling the
atmosphere on a spherical planet, a spectral method
based on spherical harmonics is often used.

In more than one dimension combinations of the
above methods can be used, e.g., gridpoint in the
horizontal and finite element in the vertical, or spectral
in the horizontal and gridpoint in the vertical.

The number of data values used to represent a field
defines the model resolution: a greater number of data
values corresponds to higher resolution and means
that smaller-scale structures in the field can be repre-
sented. Nevertheless, for any fixed number of data
values there will be some limiting scale below which
structures cannot be represented. Structures on small-
er scales than this will bemisrepresented, or aliased, as
features of some other scale (Figure 5). Aliasing is an
important problem because, even if the initial data are
smooth, the nonlinearity of the equations describing
atmospheric dynamics tends to generate structure on
ever smaller scales, and eventually on scales that must
be aliased. This is one reasonwhymodels often include
some form of scale-selective dissipation to damp
poorly resolved near-grid-scale structure.

>

>

Figure 1 Gridpoint representation of a simple function. Five data

values are stored, indicated by the diamond symbols.

>

>

Figure 2 Finite volume representation of a simple function. Five

grid-cell-average values are stored, indicated by the histogram

values.

>

>

Figure 3 Finite element representation of a simple function. In

this case the individual elements are ‘witch’s hats’, which are

continuous, piecewise linear, and nonzero over only two cells. Five

data values are stored.

>

>

>

>

(A)

(B)

Figure 4 (A) Fourier representation (dotted curve) of a simple

function (solid curve). The coefficients of five Fourier components

are stored; those components are shown in (B).
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Roundoff Error and Truncation Error

Numerical solutions are subject to roundoff error and
truncation error. Roundoff error arises because of the
finite number of digits, and hence limited precision,
used to store numbers in a computer. On a typical
workstation using standard precision the roundoff
error is about73 in the eighth decimal digit. For most
purposes this error is so small as to be insignificant.
However, the effects of roundoff error can be greatly
amplified in certain calculations – for example, when
adding small numbers to large ones or when taking
differences of nearly equal numbers.

Truncation errors are those that arise through
approximating a continuous field by a finite set of
data values and through approximating derivatives or
integrals by algebraic operations such as differences or
sums. They are a function of the resolution of the
model, and are usually much more significant than
roundoff errors.

Taylor Series, Approximation
of Derivatives

For gridpoint methods, derivatives are approximated
by finite differences. The approximations are derived
from Taylor series. For example, if the grid spacing is
Dx then eqn [2] leads to eqn [3].

fðxþDxÞ ¼ fðxÞ þ qf
qx

Dxþ q2f
qx2

Dx2

2
þOðDx3Þ ½2�

qf
qx

¼ fðxþ DxÞ � fðxÞ
Dx

þOðDxÞ ½3�

Combination of eqn [2] with the corresponding
formula for fðx� DxÞ leads to eqn [4].

qf
qx

¼ fðxþ DxÞ � fðx� DxÞ
2Dx

þOðDx2Þ ½4�

The difference between the exact derivative and the
approximation is the truncation error, and the de-

pendence of the truncation error on Dx determines
the order of accuracy of the approximation. Formula
[3] is said to be first-order accurate, since the
truncation error decreases as fast as Dx to the power
one as Dx ! 0, while formula [4] is second-order
accurate. Higher-order approximations can be sys-
tematically constructed but lead to more complex
formulas.

Local Truncation Error, and
Consistency

The local truncation error is the residual left overwhen
the true solution is substituted into the finite difference
version of an equation. It is a measure of how well the
difference equation approximates the differential
equation locally, and is closely related to the trunca-
tion error discussed above. For example, consider the
linear advection eqn [5] (v a constant).

qf
qt

þ v
qf
qx

¼ 0 ½5�

When this is approximated by eqn [6],wherefn
j means

the numerical solution for f at the point jDx and time
nDt, j and n integers, then the local truncation error is
OðDtÞ þOðDxÞ.

fnþ1
j � fn

j

Dt
þ v

fn
j � fn

j�1

Dx
¼ 0 ½6�

A difference scheme is said to be consistent if the
local truncation error tends to zero as Dt ! 0 and
Dx ! 0.

Convergence, Stability

Ascheme is said to be convergent if the finite difference
solution approaches the true solution as Dt ! 0 and
Dx ! 0. Consistency is not sufficient to ensure con-
vergence. For example, a scheme might be consistent
but fail to converge because it is unstable. There are
several slightly different definitions of stability.
For most practical purposes a useful definition is
that a scheme is unstable if it produces numerical
solutions that grow much more rapidly than the true
solution.

For example, by investigating the behavior of a trial
solution of the form fn

j ¼ AneikjDx with A a complex
constant (a technique called von Neumann stability
analysis), it can be shown that scheme [6] is stable if
and only if 0 � v ðDt=DxÞ � 1. Thus, although the
scheme is consistent, the numerical solution will not
approach the true solution as Dt ! 0 and Dx ! 0
unless vðDt=DxÞ lies within this range.

Figure 5 Example of aliasing. A wavenumber 7 Fourier compo-

nent sampled by only 6 data points appears the same as a

wavenumber 1 Fourier component.
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Staggered Grids

The accuracy of some gridpoint methods can be
improved by storing different variables, such as the
different wind components and temperature, on dif-
ferent grids that are staggered with respect to each
other in space. The best-known are the five grids,
known as the A-grid, B-grid, etc., that were classified
and analysed by Arakawa (Figure 6). It is also possible
to store fields in away that is staggered in time, or both
space and time, but this is rarely used.

Finite Element and Spectral Methods

For finite element and spectral methods the object is to
determine how the coefficients f̂fi evolve in time. One
way to do this is to require that the residual, which is
the amount left over when the approximate solution
[1] is substituted into the original equation, be
orthogonal to each of the basis functions. This

approach will typically lead to a set of simultaneous
equations involving df̂fi=dt multiplied by a sparse
matrix called the mass matrix. Once these are
solved for df̂fi=dt, f̂fi may be stepped forward in
time, for example, using a temporal finite difference
formula.

Perhaps because of the need to solve simultaneous
equations to find df̂fi=dt, finite element methods have
been used relatively little to date for modeling the
atmosphere. For spectral methods, on the other hand,
because the basis functions are mutually orthogonal,
the mass matrix is diagonal and therefore trivial to
invert.

Several terms in the model equations would be
difficult or expensive to evaluate directly in terms of
the spectral coefficients f̂fi. In practice it is simpler and
more efficient to transform the model fields to a
gridpoint representation fj, to evaluate those terms,
and then to transform the result back into the spectral
representation. The transforms can be carried out
efficiently with the aid of a fast Fourier transform
algorithm. This method is called the spectral trans-
form method. The advantages of spectral methods,
including their high intrinsic accuracy and their
facilitation of the solution of elliptic problems – see
below – has made the spectral transform method very
important in global weather prediction and climate
models.

The CFL Criterion

According to the Courant–Friedrichs–Lewy (CFL)
criterion, a necessary condition for the stability of a
numerical scheme for a hyperbolic equation is that the
domainof dependence of the numerical solution at any
point (jDx; nDt) should include the domain of de-
pendence of the true solution at the same point. For
example, for the scheme [6] the numerical domain of
dependence of fn

j consists of the points ðj� 1ÞDx and
jDx at time ðn� 1ÞDt. Since, for the true solution of the
linear advection equation, information propagates at
velocity v, the domain of dependence of the true
solution consists of the single point jDx� vDt at time
ðn� 1ÞDt. In this case the numerical domain of
dependence contains the true domain of dependence
if and only if 0 � vðDt=DxÞ � 1. In general, satisfac-
tion of the CFL criterion is necessary but not sufficient
to guarantee stability, though in the example just given
it turns out to be sufficient too.

The quantity vðDt=DxÞ is called the Courant
number. An analogous quantity can be defined for
other equations with wavelike solutions, e.g. gravity
waves, with v replaced by the speed of the equation’s
characteristics. Many schemes are stable only for a

B-grid

u, v

T T

T T

C-grid

T u T

T u T

vv

u, v, T u, v, T

A-grid

u, v, T u, v, T

T

T

u u

v

v

T

T

D-grid

T

T T

T

u, vu, v

u, v

u, v u, v

E-grid

Figure 6 The arrangement of variables on the five staggered

grids analysed by Arakawa.
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limited range of Courant numbers, so that at any given
model resolution it is important to use a time step
small enough to ensure stability; this, of course, affects
the overall cost of the model.

Semi-Lagrangian Advection

Semi-Lagrangian schemes are a way of modeling the
advection terms in fluid dynamical equations while
satisfying the CFL criterion and ensuring stability
without any restriction on the time step. By removing
one of the major constraints on the time step, they
allow models to be run more cheaply, and as a result
they are now widely used.

An equation of the form Df=Dt ¼ S, where S
represents all terms other than the advection term, is
typically discretized along an air parcel trajectory
starting from some departure point xd at time nDt and
arriving at a grid pointxj at time ðnþ 1ÞDt as in eqn [7]
(Figure 7).

fnþ1
j � fn

d

Dt
¼ �SS ½7�

Here �SS is some estimate of S averaged along the
trajectory, fnþ1

j is the value of f at xj and time
ðnþ 1ÞDt, and fn

d is the value of f at xd and time nDt.
In general xd will not coincide with a model grid point
so that the value fn

d must be found by interpolation.
Cubic interpolation is typically used.

The departure point xd is given implicitly by eqn [8],
where �vv is an estimate of the average velocity along the
trajectory, e.g., �vv ¼ ðvnþ1

j þ vndÞ=2. Equation [8] is
implicit because �vv depends on xd;

xj � xd
Dt

¼ �vv ½8�

it is solved iteratively using typically two or three
iterations, with vnd estimated by linear interpolation at
each iteration.

Implicit Time Stepping and
Semi-Implicit Time Stepping

Consider the following two schemes (eqns [9] and
[10]) for time discretization of the equation
qf=qt ¼ RðfÞ.

fnþ1 � fn�1

2Dt
¼ RðfnÞ ½9�

fnþ1 � fn

Dt
¼ 1

2
R fnð Þ þ R fnþ1

� �� � ½10�

Scheme [9] is an example of an explicit scheme;
fnþ1 is given explicitly in terms of known quan-
tities fn�1 and fn. Scheme [10], on the other
hand, is an example of an implicit scheme; fnþ1

appears on both sides of the equation, making it
more difficult to solve. The advantage of scheme
[10] is that it is stable for any size of time step and
any reasonable R, whereas scheme [9] is stable only
for a limited range of time steps and for certain
forms of R.

Implicit time schemes are often used for modeling
atmospheric chemistry, where short reaction time
scales would require very short time steps for
stability if an explicit time scheme were used. Implicit
schemes are also often used in atmospheric models
to model the gravity wave terms, and, if the hydro-
static approximation is not made, the acoustic wave
terms. Acoustic and gravity waves are the highest-
frequency signals in the atmosphere and would
strongly constrain the time step if explicit time
schemeswereused.One effect of implicit time schemes
when large time steps are used is artificially to slow the
highest-frequency waves. This is usually considered
acceptable, since acoustic and gravity waves are not
themost significantmeterological features on synoptic
scales.

Because the equations describing the atmosphere
are nonlinear, an implicit discretization in the form
[10] would be difficult and expensive to solve forfnþ1.
Instead a semi-implicit discretization is usually used
(eqn [11]).

fnþ1 � fn

Dt
¼ 1

2
½LðfnÞ þ Lðfnþ1Þ�

þ Rðfnþ1=2Þ � Lðfnþ1=2Þ ½11�
Here L is an approximation to R (or to that part of R
describing gravity waves) obtained by linearizing
about a suitable reference state, usually a stratified
atmosphere at rest, and fnþ1=2 is an estimate of f
at time ðnþ 1=2ÞDt obtained, for example, by
extrapolating from times ðn� 1ÞDt and nDt. This

n+2

n+1

n

n−1

j−4 j−3 j−2 j−1 j j+1

xd

Figure 7 Schematic showing how a semi-Lagrangian advection

schemecancarry informationalonganair parcel trajectory from the

departure point xd at time nDt to the arrival grid point xj at time

ðn þ 1ÞDt .
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leads to a much simpler, linear problem for fnþ1

(eqn [12]).

fnþ1 � Dt
2
Lðfnþ1Þ ¼ ðknown termsÞ ½12�

Equation [12] is usually of a form similar to eqn
[13] for some coefficients n, known as a Helmholtz
equation.

fnþ1 � nr2fnþ1 ¼ ðknown termsÞ ½13�
Thus, an elliptic problem with suitable boundary
conditions must be solved to determine fnþ1.

The combination of a semi-Lagrangian treatment of
advection terms with a semi-implicit treatment of
gravity waves and acoustic waves removes most of the
stability constraints on the time step size, allowing the
time step to be chosen on the basis of accuracy rather
than stability considerations, and thus making models
more efficient. For this reason, models based on semi-
implicit semi-Lagrangian schemes have become
widely used.

Elliptic Equations

Elliptic problems arise in atmospheric models when
some form of balance is assumed, e.g., when deter-
mining the streamfunction from the quasigeostrophic
potential vorticity, or when a semi-implicit time
scheme gives rise to a Helmholtz equation. They also
arise when vorticity and divergence are predicted
variables and it is necessary to derive the wind velocity
from these fields via a streamfunction and velocity
potential.

Discretization in space of an elliptic problem like
eqn [13] leads to an equation of the form [14], where
M is a sparse matrix.

Mfnþ1 ¼ ðknown termsÞ ½14�
Direct inversion of the matrix M is usually prohibi-
tively expensive for three-dimensional problems.
However, there are several other possible approaches
to solving eqn [14]. If a spectral representation of f

were used and thebasis functions couldbe chosen to be
eigenfunctions of the Helmholtz operator, then M
would be diagonal and the solutionwould be trivial. In
practice it is possible to choose the basis functions to be
eigenfunctions of the horizontal part of the Helmholtz
operator, e.g. spherical harmonics in spherical geo-
metry. Then eqn [14] separates into a number of much
smaller problems whose matrices correspond to the
vertical part of the Helmholtz operator; these can be
solved by direct matrix inversion.

If a spectral representation is not used then eqn [14]
is usually solved iteratively. One set of methods
involves relaxation of an approximate solution to
obtain a better approximation at each iteration. The
convergence of the iteration procedure can be greatly
accelerated by carrying out some iterations on coarser
grids than that on which the final solution is required;
this is a multigrid method. Another iterative method
involves reformulating eqn [14] as a minimization
problem and then solving it using a minimization
algorithm such as the conjugate gradient algorithm.

See also

Dynamic Meteorology: Overview. Middle Atmos-
phere: Gravity Waves. Numerical Models: Chemistry
Models. Weather Prediction: Ensemble Prediction;
Seasonal and Interannual Weather Prediction.
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Introduction

Though a large number of high-performance satellite
instruments have been placed into orbit during the last
two decades, balloons are used more frequently than
ever in studying the atmosphere, for several reasons.
Indeed, if satellites are unique in providing a global
viewof the Earth’s atmosphere, they also suffer several
limitations. First, because of atmospheric attenuation
and clouds, chemical species as well as meteorological
parameters can only be observed from satellites with
difficulty at altitudes below 16–18 km, i.e., in the
lowermost stratosphere where ozone depletion takes
place, and in the troposphere where the impact of
human activities could be the largest. Moreover, the
vertical resolution of the measurements from satellite
is limited to 1–2 km at best, and several important
chemical species cannot be derived by remote sensing
techniques. Finally, satellites have a limited lifetime.
Except for ozone, at present they do not allow the
long-term monitoring of the composition of the
atmosphere, a vital necessity in understanding the
impact of anthropogenic sources and the relation
between chemistry and climate.

In contrast, currently available balloons allow a
variety of in situ and remote sensors, making meas-
urements from the ground to about 40 km, to be
carried at relatively low cost, thus allowing the
repetition of the measurements over a long period.
Importantly also, balloon flights can be performed
within a shorter time frame than that required for the
development of space projects, allowing the rapid
checking of new ideas, concepts, or instruments for
further use in space and later for the validation of the
measurements of spaceborne instruments. Further-

more, long-duration balloon systems of various types
are currently available or under development, which
should allow greater use of balloons in atmospheric
studies on a global scale at a relatively low cost.

Just as meteorological satellites did not replace the
need for several hundred daily radiosonde ascents, so
space instruments did not replace the use of balloons,
but in contrast resulted in their considerable develop-
ment. This, together with the use of space technology
in the instruments, payloads, and data transmission,
explains why scientific ballooning has been taken up
by space agencies in most countries.

The objective of this article is to give an overview of
the unmanned balloon systems currently available or
under development for atmospheric research. After a
brief historical recall of scientific ballooning and of
those conceptual aspects needed to understand how
balloons work and their limitations, the main systems
currently available will be described from the point of
view of the scientific user.

History

Balloons are not new vehicles. They all still rely on one
of the two concepts both flown for the first time in
1783 in France: hot air by the Montgolfier brothers
and gas byCharles andRobert. As a first step for about
a century, these balloons were used primarily for
spectacular events during celebrations, were all man-
ned, andwere used little for science. The first observat-
ions of scientific interest were those of Robertson in
1803 and of Gay-Lussac and Biot in 1804. They
demonstrated the decrease of temperature, pressure,
and moisture with height and the constant composi-
tion of air up to an altitude of 7000m. But progress
was slow, limited by themaximum altitude acceptable
to the pilots. Only a handful of ascents of scientific
interestwere performed during the nineteenth century.
Barral and Bixio in 1850 in France discovered the
existence of ice particles – cirrus clouds – forming at
low temperatures at 7000m. In 1852 Welsh and in
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1862 Glaisher in the United Kingdom extended
observations to a record altitude of 8800m. Then,
Sivel, Croce-Spinelli, and Tissandier in France in 1875
made the first spectroscopic observations of astro-
nomical bodies above the dense atmosphere at
8600m, during an ascent in which the first two men
perished. Finally, Berson in Germany, reaching
9150m in 1894 and 10300m in 1901, measured a
record low temperature of �47.91C.

Thoughmannedflightswere continued into the next
century (Piccard in 1931 reached 15 781m, followed
shortly after by Prokofiev,Goudonov, andBrirnbam in
the Soviet Union at 18 500m, Settle in the United
States at 18 665m, and several others until Kittinger
reached 30 000m in the US in the 1960s), the greatest
progress in atmospheric science and meteorology was
to come from the use of unmanned balloons.

The first series of unmanned ascents for studying the
upper atmosphere was launched by Hermite and
Besançon in 1892 in France; they used an onboard
recording thermometer, barometer, and hygrometer
designed by the meteorological instrument manufac-
turer Richard. These were recovered after the flight.
Thiswas followed by the installation of the first upper-
air sounding station at Trappes near Versailles by the
meteorologist Tesserenc de Bort. Thanks to this effort,
the stratosphere was discovered in 1898. The strato-
sphere was shown to be a region where the tempera-
ture did not continuously decrease to the absolute zero
around 50 km as thought before, but instead leveled
off or even increased above 12–13 km.The next
important technical step forwardwas that of Assmann
in Germany, who in 1901 suggested the use of small
rubber dilatable balloons and a parachute for safe
recovery of the instruments. With such a system, a
record altitude of 37 700m was reached at Pavia in
Italy in 1912. The further significant step is due to
Hergesell,who inGermany in 1910performed the first
wind sounding using a theodolite on the ground to
follow the horizontal motion of the balloon during
ascent, while the altitude of the balloon was reckoned
using a simple stopwatch. But themajor breakthrough
in atmospheric science was the invention of the
radiosonde by Idrac and Bureau in 1929, who added
a radio transmitter to send the temperature, pressure,
humidity, and wind information in real time, thus
eliminating the need to wait for an unpredictable and
sometimes very long recovery of the sonde. Though
many improvements have been added since (e.g.,
neoprene balloon material, much more sensitive
sensors, miniaturized electronics, Omega, and later
the Global Positioning System for the location of the
sonde), the radiosondes in use today in the upper-air
network of the World Meteorological Organization
are basically the same as in 1929.

However, because of the restricted load permitted
below rubber balloons, or theweight and therefore the
altitude limitation of manned systems, the use of
balloons for science other than meteorology remained
limited until the arrival in 1947 of plastic film
developed by Winzen at General Mills in the United
States. Astronomers or cosmic ray scientists as well as
atmospheric scientists were immediately interested in
the new technique to carry heavy payloads above
the absorbing atmosphere. Modern scientific balloon-
ing had started by the late 1950s in the United States
under the direction of Ney at the University of
Minneapolis, later transferring to the National Center
for Atmospheric Research, NCAR, and then to the
National Aeronautic and Space Administration,
NASA. Soon after, scientific ballooning activities
were also started in France by Blamont at the Centre
National de la Recherche Scientifique, CNRS, later
transferring to theCentreNational d’Etudes Spatiales,
CNES. Thenceforth, the technology propagated rap-
idly in the 1960s in the Soviet Union, Japan, India,
Indonesia, Brazil, and Argentina, though complete
balloonmanufacturing capabilities were not available
in most of the latter countries.

A variety of balloons were progressively made
available to atmospheric scientists, and ranged from
open or zero-pressure balloons carrying heavy pay-
loads for a few hours at high altitude or long duration
for a few weeks or months in the lower atmosphere.
Though their performances and uses varied, they all
followed the same physical principles, which are
recalled below before describing current available
platforms.

Balloon Concepts

The lift of a balloon, derived from Archimedes’
principle, can be expressed as

Vðrair � rgasÞ ¼
X

Msð1þ f Þ ½1�

where V is the volume, rair the density of air and rgas
that of the lifting gas (hydrogen, helium or hot air),P

Ms the sum of solid masses (balloon envelope and
payload), and f the free lift. Getting off the ground
requires a positive free lift or excess gas of generally
15–20% of the total Msð1þ f Þ. Because of the
exponential decrease of pressure with altitude, the
balloon expands continuously in volume during the
ascent, until it reaches its float altitude.While reaching
and suspended at this level, the excess gas correspond-
ing to the free lift has to be evacuated or else retained
by a high-strength material – otherwise the balloon
bursts.
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In one type of balloon, the zero-pressure, large open
ducts at the base of the envelope vent the excess gas, so
that the pressure differential from inside and tooutside
remains small (Figure 1). In the other, the super-
pressure sealed balloon, in which the excess gas
converts into a differential pressure that is retained
by the high-strength, and thus necessarily heavy,
material.

Since the stress on the envelope is very small, a zero-
pressure balloon can be manufactured in light 20–
40mm thin polyethylenematerial. Its volume can be as
large as required – up to 2 million m3 for carrying a
load of several hundred kilograms up to 40 km.
However, there are two limitations: launch operations
and flight duration. Though efficient methods (crane
or auxiliary balloon) have been developed to keep the
payload off the ground at liftoff, the size of the
balloon, which is only partially inflated at ground
(300m high for the largest balloons), makes a launch
very sensitive to surface wind. The maximum accept-
able wind speed is generally 2m s�1 at 50m height, or
even at 200m for the largest balloons, which some-
timesmeanswaiting forweeks for the right conditions.
The second limitation is the duration of the flight. The
cooling at sunset makes the balloon contract and
descend, and this can be counteracted only by an
irreversible drop of ballast. The duration of the flight is
thus limited by the amount of ballast, which must be

carried only at the expense of the scientific payload.
Zero-pressure balloon flights are generally limited to
fewhours.However, long-duration cruises of upto 4–5
days across the Atlantic or the Soviet Union have been
effected through carrying a large amount of ballast or
alternatively by replacing the solid ballast by a
reservoir of liquid helium to compensate the loss of
gas. Longer flights have also been achieved in the
specific case of permanent day or night in polar areas,
thus requiring little dropping of ballast. Taking
advantage of such conditions, zero-pressure circum-
navigations of 2–3weeks (1month in 2002) have been
achieved over Antarctica by NASA in the summer and
also by the Japanese.

Long-duration flights generally require totally dif-
ferent approaches.Two successful ideas both currently
in use have been suggested: super-pressure balloons
and infra-red Montgolfier. The first, promoted by
Lally at NCAR in the 1960s is derived from a concept
of small spherical paper balloons used by the Japanese
during World War II. The super-pressure balloon is a
sealed sphere in which the excess gas corresponding to
the free lift converts into overpressure. The pressure
increases during daytime solar heating and decreases
with the cooling at night. Since the volume and the
mass of the system are constant, the balloon flies at a
constant density (isopycnic) level. It remains aloft until
leakage reduces the overpressure to zero in the night
cold, when the balloon irreversibly drops. The system
is limited by the thickness and thus the weight of the
material – which is generally polyester, fabric, or
polyethylene composite – that is required to maintain
the overpressure. Since the stress of the envelope
increases with the balloon’s radius, the size of a super-
pressure balloon for a given material is limited to the
volume atwhich the balloon can carry its own unladen
weight. For a spherical balloon of polyester, the limit is
around 10m diameter, allowing a payload of 20 kg at
around 19 km altitude.

To overcome this limitation, a new design has been
suggested in France (CNES Stratospheric Super-Pres-
sure Balloons), in the USA (NASA Ultra Long Dura-
tion Balloons), and also in Japan, which consists of a
‘pumpkin-shaped’ balloon. In this design, Kevlar
tendons take the meridional stress while the longitu-
dinal stress is reduced by the small local radius of the
pumpkin lobes or gores, which allows a reduction in
the density of the balloon material. Though this
solution seems promising, there are technical difficul-
ties still to be overcome, particularly in the arrange-
ment between the tendons and the envelope when
reaching float altitude. Though a successful three-
month flight was achieved in 1992 by CNES in South
Africa, other attempts have failed, as did the first US
test in Australia in 2001. However, there is no doubt

Figure 1 Zero-pressure balloon of 2 000 000 m3 at float altitude.

The excess gas is vented by seven open ducts at the bottom of the

envelope.r NASA.
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that once these problems are solved, the pumpkin
shape could offer a unique opportunity for long
circumnavigations of large payloads at high altitude
for the remote observation of the atmosphere.

A totally different concept, suggested by the present
author andHauchecorne in the late 1970s, is the use of
a hot-air balloon heated at night by the Earth’s thermal
emission, and therefore named Montgolfier Infra-
Rouge (MIR). This is achieved by adding a very low-
thermal-emission aluminum layer to the upper half of
the infrared absorbing polyester envelope, thus pre-
venting the balloon from radiating toward space, the
lower half being in transparent polyethylene. In this
arrangement, the temperature differential of 20–301C
between the air inside the balloon and that ambient air
in the cold stratosphere keeps theMIR stable at night.
The extra lift providedby solar heating duringdaytime
makes the balloon ascend and thus purge a large part
of the lifting gas. But since this gas is air, it can be
replaced during the evening descent by simply keeping
open a large mouth at the bottom of the balloon. The
system is thus reversible. The only limitation is during
flying over very cold and low emissive clouds, such as
high-altitude anvils in tropical regions, which reduces
the temperature differential between the inside and
outside by a few degrees, which is not enough to keep
the balloon aloft for the whole night. In its present
design, the MIR of 45 000 m3 volume carries 60 kg at
28 km during daytime and between 18 and 24km at
night, depending on the cloud cover, for an average
duration of 3weeks, with a record flight of 2months in
the tropics.

The various techniques above could also be com-
bined. An example occurred in the recent record
manned flight round the world, which used a helium
balloon on top of a hot-air system, both covered by an
aluminized layer to reduce the radiative heat loss and
carrying a ballast of propane to feed a burner in case of
major cooling.

Current Scientific Balloon Systems
and Their Use

Based on the above concepts, a variety of balloon
systems are available to the scientist wanting to study

the Earth’s, or another planet’s atmosphere, the
characteristics and performances of which are sum-
marized inTable 1. They are all described below from
the point of view of the user, togetherwith examples of
their application.

Open Zero-Pressure Balloons

Themost commonly used scientific balloon is the zero-
pressure (Figure 2). Its volume varies from 50 000 m3

to 2 Mm3 or more, which can carry between 100 kg
and 2000 kg (the record is 3600 kg) between 25 and
40 km (the record is 42 km), see Figure 3. It is equipped
with powerful telemetry and remote control transmis-
sions of up to 500 bps. Formany purposes the gondola
is stabilized or oriented toward the Sun or an astro-
nomical object, or even stabilizes with respect to a
magnetic or geographic heading. Inmost applications,
flight is limited to within the telemetry range from the
control station of 300–400 km, that is for a duration of
a few hours, though it can be extended by using a
down-range receiving station. The size of the balloon
(up to 300mhigh at liftoff), aswell as theweight of the
payload, requires the use of a mobile crane or else
auxiliary balloons to keep the gondola off the ground
during the launch operation, which has to be per-
formed by a well-trained team. The descent of the
payload for recovery below one or several parachutes
terminates the flight. However, and this is of great
interest for atmospheric research, the ascent or descent
speed and altitude of the balloon can also be adjusted
by alternately valving gas and dropping ballast. This
facility is now in common use for studying a specific
layer, e.g., stratospheric clouds in polar areas, or
setting a slow descent speed across the whole strato-
sphere for air sampling or chemical analysis.

In the United States, the balloons manufactured by
Raven Industry are operated by the NASA Wallops
Flight Facility (25 flights per year, with payloads of up
to 2000 kg) at the National Scientific Balloon Facility
(NSBF) at Palestine, Texas, or the Scientific Balloon
Flight Facility (SBFF) at Fort Summer,NewMexico. In
France they are manufactured by Zodiac-Espace and
operated by the CNES space agency at the Centre de
Lancement de Ballons at Aire sur l’Adour, or Gap in
the summer, in southern France (20 flights per year,

Table 1 Performances of scientific balloons

Balloon Volume (m3) Payload (kg) Altitude (km) Duration

Zero-pressure 5 000 to 2 000 000 50 to 2 000 25–40 Hours – days

Pressurized sphere 50–600 2–20 12–19 Weeks – months

Pressurized tracers 3–8 2–3 1–5 Weeks

Pressurized pumpkin 1 000 000 1 000 35 (Goal 100 days)

IR Montgolfier 45 000 60 27 (day) Weeks – months

18 (night)
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withmaximumpayloads of 500 kg for safety reasons).
Several other countries are also conducting smaller
programs on their ownor in cooperationwith theUSA
and France: Japan, India, Canada, Australia, Norway,
Sweden, Brazil, Argentina, and Indonesia. The Soviet
Union has had an extensive program in the past,
including 4–5-day flights from European Russia to
Siberia in the winter and fromKamchatka to the Urals
in the summer, but this has been suspended for the
moment.

Depending on scientific objectives, both NASA and
CNES frequently carry out series of balloon launches
at remote sites at all latitudes in Canada, Brazil,
Australia, Alaska, Sweden, Antarctica, etc. Among
others, recent examples are the series of winter

campaigns conducted since 1990 by the CNES for
the European Commission at the Swedish ESRANGE
facility at Kiruna for studying stratospheric ozone
depletion; those included THESEO-SOLVE in the
winter of 2000, which involved both CNES and
NASA.

The use of zero-pressure balloons in atmospheric
science is twofold: (1) for the remote observation from
the float level of the vertical profile of chemical species
by techniques similar to that in use from orbit; (2) for
in-situmeasurement, during ascent or slow descent, of
aerosols, stratospheric clouds particles, tracer gases,
and chemical species by a variety of techniques close to
those in use in the laboratory. Remote sensing
techniques include absorption measurements in the

Figure 2 (A)1 (B) Inflation of a 100 000 m3 zero-pressure balloon in the polar night in northern Sweden in January 2000 for studying

stratospheric cloudsand ozonedepletion. The two small balloons in the background areauxiliary balloonsused to keep thepayloadoff the

ground during liftoff.r CNRS. (C) Early-morning inflation of a 100 000 m3 zero-pressure balloon at Gap in the Alps.r CNES.

Figure 3 1 000 000 m3 zero-pressure balloon ready for release at MacMurdo, Antarctica, in December 2001. The 1100 kg payload is

suspended from a mobile crane. Taking advantage of the polar day, a record flight of one month was achieved. r NASA.
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UV, visible, and infrared regions by solar, star, or lunar
occultation, and emission techniques in the IR and
microwave wavelengths. Most of the atmospheric
instruments subsequently placed in orbit, such as the
ATMOS Fourier Transform Spectrometer on the
Space Shuttle, the Microwave Limb Sounder onboard
the NASA Upper Air Research Satellite, or the MIPAS
Fourier Transform Spectrometer on the ESA ENVI-
SAT satellite, have been flown first on balloons.
Besides the new science which could be derived a
long time ahead from the long leadtime development
of a space project, the advantage is the advanced
maturity of the retrieval algorithms aswell as later, the
validation of the measurements from space by direct
comparison with colocated balloon observations.

But the unique contribution of balloons to atmos-
pheric science is the measurement in situ of a number
of parameters and species, and their altitude and time
variations, which cannot be done by other methods,
particularly in the stratosphere. Examples include the
profiles of the organic chlorine and bromine species
(CFCs and halons) responsible for the destruction of
ozone; the profile of OH, the hydroxyl radical
involved in many chemical cycles; the composition
of the crystals of polar stratospheric clouds which
trigger the ozone loss process in polar areas, and high-
resolution profiles of long-lived species or tracers
needed to understand transport processes. The list of
instruments flown includes mass spectrometers, gas
chromatographs, samplers, fluorescence–resonance
chemical reactors, aerosols, and condensation nuclei

counters, tunable diode lasers associated to multiple-
path-length cells, etc.

Light, Small, Zero-Pressure Balloons

Large zero-pressure balloons as described above are
powerful tools, but since they are extremely sensitive
to surface wind, and hence cannot often be launched
when required, they are difficult to use in atmospheric
science. In addition, their operation needs heavy
equipment and large facilities, while finally their
relatively high cost does not allow them to be flown
as frequently as is desirable for recording atmospheric
variability. An alternative approach, explored during
recent years byCNES, is the reduction of the size of the
balloons (Figure 4). This is achieved by using lighter
material, 16mm and more recently 12 mm thick, but
reinforced at the gores assembly, and also by reducing
dramatically the weight of the payload by applying
miniaturization techniques to scientific instruments as
well as to operational subsystems. Finally, launch
techniques have also been revised. The payloads are
designed to be dragged, perhaps on a sledge, on the
launch pad, thus not requiring auxiliary balloons or a
crane. In such design a 10 000 m3 balloon carrying
100 kg of apparatus at 2 km could be launched in a
surface wind at up to 7m s�1 (30 km h), that is, in most
meteorological conditions. This flexibility meets a
variety of scientific requirements such as those imposed
by sunset or sunrise, the presence of polar stratospheric
clouds, satellite overpass, tropical storms, etc.

Figure4 Small, light, zero-pressure balloon of 10 000m3 ready for launch at the ESRANGE facility at Kiruna in northernSweden during

the Ozone THESEO-SOLVE campaign in February 2000. Five complementary scientific instruments for measuring chemicals and

aerosolsbyavarietyof techniquesare shown ready tobeflown together in separatepackageswhichat launchslip along the launchpad.r

CNRS.
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A number of lightweight atmospheric instruments
in the 5–20 kg range have been developed in Europe
and in the US for use with these smaller, lighter
balloons: UV-visible solar or moon occultation spec-
trometers, tunable diode lasers, air samplers, aerosol
counters, gas chromatographs, and resonance fluores-
cence reactors, measuring a broad range of chemical
species. Such instruments are frequently flown
together on the same balloon from unprepared
or wind-exposed ranges, in order to study polar ozone
chemistry, stratospheric clouds, tropical convection,
seasonal and diurnal cycles, long-term trends,
satellite validations, etc.

Tethered Balloons

Basically, tethered balloons are open balloons that are
only a little pressurized, the excess gas being vented
through a valve. Though the concept is simple,
tethered balloons have been of little use in atmospheric

research except in the lowermost boundary layer.
Attempts to build permanent atmospheric observato-
ries in the lower stratosphere around 20 km in France
in the 1980s, using newly available Kevlar cables,
failed totally, mainly because of gusty winds but also
because of air safety constraints. The use of tethered
balloons seems thus to be limited to the lowermost
1–2 km levels in light wind and in areas with little air
traffic. However, a promising system for studying the
sea–air interface in remote oceanic regions is the
drifting balloon attached to a floating guide rope as
tested in 2000 by the CNES in the tropical Atlantic.

Super-Pressure Balloons

As noted earlier, super-pressure balloons were devel-
oped originally in the USA at NCAR for studying the

Figure 5 Launch of a tracer super-pressure balloon at Ushuaia,

Argentina, in February 2000 for studying the meteorology of the

lower atmosphere over the Southern Atlantic. The electronics are

located inside the balloon for protection against rainfall.

Figure 6 (A) Launch of a 10m diameter super-pressure con-

stant-level balloon at Kiruna, northernSweden, in January 1999 for

studying the dynamics of the stratosphere. r CNES. (B) 10m

diameter super-pressure balloon under testing at the CNES facility

at Toulouse.r CNES.
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meteorology of the upper troposphere. They were
spherical balloons of 43mmthick polyester and 2.70m
diameter, able to carry a 2.5 kg payload at 200 hPa
(12 km). In the late 1960s and early 1970s more than
400 balloons were flown by NCAR within a GHOST
project from New Zealand in the frame of the GARP
(the international Global Atmospheric Research Pro-
gram). In addition, another 400 of similar size were
flown by the French from South America using a
dedicated satellite, EOLE, to track them with a new
receiving system at the origin of the ARGOS satellite
data collection in broad use in ballooning nowadays.
On both projects, the average flight duration was
around 3 months, with a record of 1.5 years.

In order to meet the scientific demand, super-
pressure balloon programs have evolved in two
directions: small tracer balloons in the planetary
boundary layer and relatively large ones for studying
transport in the lower stratosphere.The first type,with
the payloadmounted inside the envelope to protect the
electronics from rainfall (Figure 5) were, for example,
flown for several weeks in the 1980s over the Indian
Ocean for investigating the atmospheric circulation
associated with the monsoon. The experiment was
repeated in 2000 in India, during the recent INDOEX
international project, as well as in Argentina.

The second type of balloon was the large spherical
one flown in the lower stratosphere (Figure 6). But as
explained earlier, and shown for example by the

unsuccessful attempt by NCAR in the 1980s to
develop a 24m diameter balloon to carry a drop
sondes package at 24 km, these balloons are at the
limit of technology. The largest system, currently
under testing at CNES with some success after several
years of hard work, is a 10m diameter balloon
carrying a 20 kg payload at 19 km for studying the
dynamics of the winter Antarctic stratosphere.

Ultra-Long-Duration Balloons (ULDB)

Unless a new, high-strength material appears in the
future, the size and therefore the altitude of spherical
super-pressure balloons will be limited. The only way
to overcome the limit is to change completely the
architecture of the balloon and adopt a pumpkin shape
(Figure 7). A large pumpkin balloon of 58m diameter
for carrying 1.6 tonnes at 33.5 km for 100 days is
under development at NASA. Though a 3 days’
successful test was conducted in June 2000 in the US,
the first attempt at a long-duration flight from
Australia in 2001 failed, illustrating the difficulty of
the project. However, the program will continue.
There is no doubt that when successful, ULDBswill be
powerful tools in enabling atmospheric observation to
be made by new passive or active remote sensing
instruments long before such instruments are able to
be placed in orbit.

Figure7 Artist’s viewof theULDBpumpkin super-pressure balloonat float.Designed for carrying one tonneat 35 kmaltitudeduring 100

days, such balloons could allow the remote sensing of the atmosphere on a global scale at far less cost than that of using satellites. r

NASA.
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Infra-Red Montgolfier (MIR)

Because of the smaller lift of hot air compared with
hydrogen or helium, the MIR (Figure 8) requires a
larger volume than gas balloons for the same payload.
But, in turn, it is a zero-pressure balloon and so the
stress applied on thematerial is weak. TheMIR is thus
a robust balloon whose duration is limited only by the

capacity to fly over very low-emitting, high-altitude
clouds. In its present design of 45 000 m3 volume,
the MIR available at CNES in France can carry a
payload of 60 kg for several weeks around the world.
It has been flown successfully for more than 2 months
in the tropics and for up to 3 weeks in the Arctic
in the winter and spring, where the limitation
comes more from the restriction of flights to north of

Figure 8 (A) Test flight of MIR 5600 m3 prototype in the early 1980s at Pretoria, South Africa.r CNES. (B) Release of an aluminized

45000 m3 MIR at Kiruna in February 2000 for studying ozone depletion in the winter Arctic stratosphere. After 18 days the flight was

terminated and the payload recovered in Russia.r CNES. (C) Release of an aluminized 45000 m3 MIR in Brazil in February 2001. The

balloon flew for 34 days and two circumnavigations over the tropics before recovery in northern Argentina.r CNES.
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551N for air safety reasons, than from adverse
meteorology.

Taking advantage of the diurnal change of altitude
from 18–20km during night-time to 27–28 km during
the day, a number of atmospheric observations could
be performed, ranging from passive or active remote
sensing by solar occultation or lidar to profiling in situ
by a variety of techniques. In its current design, the
MIR is fully operational. However, further tests of
thinner and lighter balloonmaterial are in progress for
extending the duration of flight. When successful, and
together with new, powerful low-orbit satellite trans-
missions, it will be a unique tool for combining in-situ
and remote measurements for studying several pro-
cesses of importance atwork in the global stratosphere
and climate.

Planetary Ballooning

Though the composition of their atmospheres is
different to that of the Earth, several planets in the
solar system could also be explored by balloon
systems. Of particular interest are those totally cov-
ered by clouds and thus where the surface is invisible
from space, such as Venus and Titan. But this could
apply also to the study of the meteorology and the
surface of Mars, where a balloon could help observe a
variety of landscapes with a single station. Several
concepts have been studied in the past and sometimes
fully developed and tested in France, the USA, and the
Soviet Union. Among them, the most advanced space
mission projects were a heavy, 10m diameter Kevlar
cloth super-pressure balloon for Venus and a thin,
6mm super-pressure balloon forMars landing at night
and dragging a long instrumented guide-rope on the
surface. Unfortunately and for various technical and
programmatic reasons, they have been all cancelled
but one: a highly successful Teflon balloon designed
and flown by the Russian Institute for Cosmic

Research (IKI) in the atmosphere of Venus during the
Russian–US–French VEGA mission in 1985. Teflon
was chosen instead of polyester because of the
presence of sulfuric acid clouds in the Venusian
atmosphere, resulting in a new concept of sealed,
super-pressurized, and slowly expandable balloon.
Injected on the night side of the planet at 53 km, in the
high-altitude 4-day circulation, the balloon performed
beautifully for 48 hours as expected, allowing the
observation of pressure, wind, and temperature
change along a night–day transition and for the full
following day. Though this success still remains
unique, several concepts of zero-pressure, super-pres-
sure, and Montgolfier autonomous systems, named
Aerobots for Robotic Balloons, continue under
study in the USA and France, for further planetary
exploration missions.

See also

Observation Platforms: Buoys; Kites; Rockets. Obser-
vations for Chemistry (In Situ): Ozone Sondes; Water
Vapor Sondes. Radiosondes.

Further Reading

Details on balloon national programs can be found at
ballon.cnes.fr:8180 for France, www.wff.nasa.gov/
~code820 for the US, www.isas.ac.jp/info/balloon-
e3.html for Japan, www.dan.sp-agency.ca/ for Canada,
www.rocketrange.no for Norway, www.ssc.se/ for Swe-
den, and www.das.inpe.br/slb/ for Brazil.

Descriptions of most recent balloon systems and test flight
results could be found in the series of proceedings of
the biennial symposia on European Rocket and
Balloon Programs and Related Research (European
Space Agency Publication Division, ESTEC, Noordwijk,
The Netherlands).

Buoys

JM Hemsley, National Data Buoy Center, Stennis
Space Center, MS, USA

Copyright 2003 Elsevier Science Ltd. All Rights Reserved.

Introduction

The need to collect real-timemeteorological data to be
used in forecasting is commonly accepted as important
to the protection of life and property. Indeed, one can
find observers or packages of automated instruments

tasked with collection of meteorological data spread,
often densely, across many countries of the world.
Unfortunately, the world’s oceans are much less
densely populated with observing systems. It is diffi-
cult to acquire meteorological data at sea. Observers
aboard ships are sometimes too busy to take observa-
tions when they are most needed. Satellite sensors can
be foiled by clouds. The best solution for collecting
data at sea is from buoys, either moored or drifting.
This article will discuss the types of buoys often used,
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what data are collected or might be collected, and the
advantages and disadvantages of the general buoy
types. Because of the author’s experience, the article
will emphasize the systems used by the National
Oceanic and Atmospheric Administration, National
Weather Service, National Data Buoy Center (NDBC)
of the United States of America.

Purpose and Types

A number of nations collect meteorological data from
moored buoys in support of theirwarning and forecast
missions. These include the United States and Canada,
which have large networks of moored buoys; the
United Kingdom and France, whose networks are
somewhat smaller; and nations like Japan, Korea,
Australia, New Zealand, and India, which have even
smaller networks. In addition, most of these nations,
as well as South Africa, Brazil, Germany, Ireland, and
The Netherlands, have used drifting buoys in their
data collection efforts. Buoys are used in the open
ocean, in inland seas, and in major seaways. They are
particularly important to forecasters on the eastern
boundaries of the oceans and where tropical and
extratropical storms are common. Often, data from a
buoy are important in the proper forecasting of storms
forming over the oceans. Buoydata sometimes provide
surface pressure and wind data indicating strengthen-
ing 12–18 hours before satellite imagery. It is unfor-
tunate that these data are so scarce compared to data
from stations on land.

Generally, there are two types of buoys,moored and
drifting. A discussion of the types of buoys in each
category is appropriate.

Moored Buoys

Hulls There has been considerable evolution of
moored buoy types, which started quite large both to
ensure stability at sea and to house the large numbers
of batteries, a diesel generator or two, and diesel tanks
needed to power the sensors and transmitters. Break-
throughs in solar power technology and microelec-
tronics have resulted in the size of buoys being greatly
reduced and their capabilities being considerably
enhanced.

Stability is an important characteristic of moored
buoys. They must provide a stable platform for the
acquisition of data, be able to withstand severe sea
conditions without capsizing, and protect the elec-
tronics needed to control the collection, processing,
and transmission of the data. Early buoys were often
quite large, first 12m in diameter, then 10m. These
steel buoys were survivable and had considerable
room for the systems required for data collection in the

early 1970s. Because they were large, though, they
were expensive and difficult to deploy and recover.
Eventually, an alternative was found that provided
good survivability and adequate space, especially after
improvements in solar power, instrumentation, and
communications allowed for significant reductions in
power requirements. That alternative was a boat-
shaped aluminum hull, called a NOMADwhen it was
developedby theUSNavy. It is the buoyhull nowoften
used by NDBC and the Canadian Atmospheric Envi-
ronment Service at their deep ocean stations. With its
mooring attached at the bow, the buoy tends to align
itself with the direction of the waves, making it much
more survivable in high, steep waves. The highest
significant wave height ever measured by an NDBC
NOMAD buoy was 16.9m, measured in the north-
east Pacific Ocean. The significant wave height is the
average of the highest 1/3 of waves. According to a
generally accepted rule of thumb, the highest waves in
a storm can be twice the significant wave height,
meaning that the buoy probably survived waves as
high as 30m or more.

The same improvements that allowed for the
development of NOMAD as a replacement for the
huge discus buoys in the deep ocean encouraged the
development of smaller buoys for bothmeteorological
and oceanographic use. One of the principal innova-
tors in buoy technology was the Woods Hole Ocea-
nographic Institution in Woods Hole, Massachusetts,
USA. Their development of an aluminum discus buoy
hull of 3m diameter made possible the collection of
data from networks of moored buoys. The 3m buoy
and its derivatives, while not inexpensive, are consid-
erably more economical than either the large discus
buoys orNOMADS.Adirect descendent of theWoods
Hole 3m buoy is used extensively in the United States
and Canadian networks. A few 12m and 10m buoys
can still be found operationally deployed, but the
majority of buoys now used for the collection of
meteorological data are either NOMADs or 3m
discus buoys. Examples of those buoys may be seen
on the NDBC web site, (http://www.ndbc.noaa.gov).

Not all buoys used for meteorological data collec-
tion are exactly like those used in theUnited States and
Canada. One considerable network, deployed in the
tropical Pacific andAtlantic oceans by theUSNational
Oceanic and Atmospheric Administration’s Pacific
Marine Environmental Laboratory, in conjunction
with French and Japanese agencies, uses a toroid buoy.
These fiberglass-wrapped foam hulls are less expen-
sive than aluminumhulls, but they are also less capable
buoys. In fact, their primary purpose is to collect
oceanographic data, with only limited meteorological
data collection capabilities. With their moorings
containing oceanographic instrumentation, the buoys
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are replaced each year. This is necessary for good
oceanographic data collection, but it would be con-
sidered unduly costly for long-term collection of
meteorological data.

Other networks use a variety of buoy hull types that
they have determined to be best suited to their needs.
The buoys used in the United Kingdom, Japan, and
Korea are quite different from those of the United
States andCanada, but they performverywell for their
weather services.

Moorings Amooring is a system comprising a chain,
cable, and/or rope and an anchor of some type that
keeps the moored buoy on station. One of the most
significant differences between moored buoys intend-
ed to collect meteorological data and those intended
for oceanographic investigations is the mooring they
use. As mentioned previously, oceanographic data
collection buoys are replaced frequently, at least in
comparison with meteorological buoys. Their ocea-
nographic sensors are susceptible to fouling and,
therefore, must be changed or cleaned periodically.
Meteorological buoys are often a part of an opera-
tional observing network, and frequent replacement
of buoys is much too expensive. Both the electronic
and the mechanical systems used on the buoys must
therefore be long-lived. Moorings are an important
component of buoy longevity.

Considerable effort has been put into mooring
design, modeling, and field testing in order to develop
moorings that will provide a simple, long-term, deep
water capability at reasonable cost. Designers of
moorings for environmental observations had the
advantage that they did not need the tight watch circle
(the circle around the buoy’s anchor within which the
buoy drifts) required of navigation buoys marking a
channel. The watch circle for a meteorological buoy
was able to be wider because of the consistency of
meteorological data over a relatively few miles of
ocean. Because of that flexibility, the design of the
mooring system was more open to innovation. Two
general types of moorings are typically used for
meteorological buoys: semi-taut and inverse catenary.
Semi-taut moorings are common in shallowwater and
are most oftenmade either of all chain, in waters up to
about 90m deep, or a combination of chain and,
typically, nylon line of 5 cm ormore in diameter. Semi-
taut moorings using chain and nylon are used in water
depths generally from 60 to 600m. They consist of a
length of chain immediately under the buoy, then
nylon line, followed by another length of chain
attached to the anchor. Semi-taut moorings involving
nylon line are probably the most difficult to service,
because they are often under tension at sea, essentially
becoming taut moorings.

In an effort to design a mooring that allowed easier
servicing or replacement of a buoy, NDBC developed
its two types of inverse catenary moorings. These
moorings have been used successfully in water depths
as great as 6000m and are routinely used in depths
greater than 5000m. The mooring consists of chain
immediately under the buoy; then nylon as in the taut
mooring; then at a design depth, often in the range of
500–700m, a length of polypropylene line or glass
balls is inserted; then more nylon line to the bottom
where it connects with chain and the anchor. The
purpose of the polypropylene rope or glass balls is to
provide a buoyant section in the mooring. This serves
two purposes. First, it allows for some error in the
expected depth of water. Should the anchor settle in
water deeper than intended, the mooring will have
enough excess length to allow for a successful deploy-
ment. More important is the isolation of the lower
portions of the mooring from the buoy’s motions.
Mooring failures associated with wear most often
happen where two hard components, such as chain
links or chain and shackles come into contact with
each other. In the uppermooring, there is considerable
movement associated with the buoy’s motions. That is
not considered a problem, since the upper chain can be
inspected when the buoy is serviced and replaced as
necessary. Since inverse catenary moorings are almost
never retrieved, that is not the case with the chain at
the lower end of the mooring, in as much as 6000m
of water. The buoyant section of the mooring
successfully isolates the lower mooring so it is not
affected by buoy motion, reducing wear on the chain
and other hard components at or near the sea bottom.
An inverse catenary mooring was once recovered by
the NDBC after having been deployed for nearly
ten years. It was found that the lower portions
of the mooring suffered almost no wear and that the
nylon rope had retained nearly its design breaking
strength.

Drifting Buoys

Drifting buoys, as the name implies, are those that
move with the winds and currents in the ocean. Some,
when deployed with drogues, are Lagrangian drifters,
allowing ocean current speed and direction to be
derived from their positions over time. Many are
deployed without drogues, making them less useful in
the determination of circulation patterns. Because
drifting buoys can easily be deployed by ship or
aircraft, they are often used in remote ocean areas for
some basic meteorological data collection. Because
they are considerably less expensive than moored
buoys, they are also used in lieu of or to supplement
moored buoy networks.
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There are two types of drifting buoys most
widely used today. The first, the FGGE (First Global
GARP Experiment) buoy was extensively used
in the Tropical Ocean and Global Atmosphere
(TOGA) Research Program. These buoys were gener-
ally cylindrical, 3.7m in length, and with a floatation
collar at the waterline. The FGGE buoys have
approximately 1.5m of their length above the water-
line. The second type of drifting buoy is the Surface
Velocity Profiler –Barometer (SVP-B).These buoys are
spheres on the order of 41 cm in diameter with a
barometer port that stands approximately half the
buoy’s diameter above its top surface. They were
designed to be Lagrangian drifters (SVP) and have
been modified to provide some meteorological data
(SVP-B).

Drifting buoys are packaged for deployment either
from ships or from aircraft. In both cases, they are
transported in containers that will come apart when
soaked in seawater. This allows a sailor to simply drop
the drifting buoy over the side of the ship or an aircraft
crewman to deploy it from the plane. For delivery by
air, the drifting buoys are, of course, fitted with a
parachute to ensure they survive the fall into the
ocean.

Measurements

Moored Buoys

Moored buoys are important systems for maintaining
weather and sea watch for warning and forecast
updates. They provide sea truth for forecast model
initialization and verification, warning and forecast
verification, and radar and satellite data validation
and calibration.

There is both consistency and variability in the
measurements made on moored buoys. With
few exceptions, wind speed, gust, and direction,
atmospheric pressure, and air temperature are
collected; this is a consistent feature among nearly
all national programs. Wind and pressure data
are considered important enough by NDBC that
they have redundant sensors to increase the data
return. It is also important that the buoys report
their location in order to ensure that the buoy is not
adrift. Other data often collected include relative
humidity; solar radiation; precipitation (amount and/
or rate); oceanographic measurements, including
wave height, period, energy spectral information,
and, sometimes, direction; sea surface temperature;
and ocean current (point or profile). In these lie
the variations among the data collection networks.
Different nations have identified different data
priorities.

Drifting Buoys

Drifting buoys provide a more global capability for
acquiring and reporting environmental observations.
They are useful for scientific and climate programs,
weather forecasting, and hurricane tracking.

Drifting buoys have considerably less capability
than moored buoys, principally because of their size
and limited power. All drifting buoys report their
location. This was what they were originally designed
to report, so that their drift direction and ratemight be
calculated. The first drifting buoys to report meteor-
ological data reported only atmospheric pressure and
air and sea surface temperature. The size of these
FGGE buoys, though, allowed the addition of a
Savonius Rotor to measure wind speed. After some
design work and prototype testing, a wind fin and
compass were added to provide wind direction. In
some drifting buoys, accelerometers or other devices
have been added to provide wave data.

The SVP-B was a logical result of the SVP. Oceano-
grapherswere able to adapt the SVP to addabarometer
port above the buoy and amoisture filter to protect the
barometer installed inside the buoy. As with the FGGE
buoy, the SVP-B also collects sea surface temperature.
This relatively inexpensive buoy has allowed the
deployment ofmanymore drifting buoys in the remote
portions of the oceans. They have been themainstay of
international buoy programs in the South Atlantic and
Indian Oceans, as well as in the Arctic and Antarctic.
Evenwith only pressure data reported, there have been
several studies performed by the South AfricanWeath-
er Bureau that have shown the value of even just a few
pressure data points from drifting buoys in improving
forecasts during thewinter storm season.Development
of the SVP-B continues. There are efforts to add wind
speed measurement capability to the buoy using
underwater acoustic sensors, hydrophones that meas-
ure the sound of bubbles made by the wind. Wind
direction might be measured using a wind fin on the
barometer port. The potential for wind measurement
from the SVP-B is an exciting prospect.

Data Transmission and Distribution

Data from buoys are useful for warnings and forecasts
only if those data are available in real time to the
forecasters. It is important that the data be transmitted
frequently and distributed immediately.

Moored Buoys

While moored buoys are designed to report via either
geostationaryorpolar orbiting satellites,mostmoored
buoy networks use the geostationary satellites to
transmit their data to shore. In North America, the
satellites used are the Geostationary Operational
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Environmental Satellites, one in the ‘east’ and one
in the ‘west’. European data are transmitted via
Meteosat, and Asian data are transmitted via the
Japanese and Indian satellites. Data are typically
transmitted hourly through the satellites to a ground
station. The data are then quality controlled
using automated algorithms and the good data are
distributed through the Global Telecommunications
System to forecasters around the world. Some net-
works distribute raw data without attempts at quality
control. In those cases, the forecasters must under-
stand that the data have to be compared with other
available information before they can be accepted as
correct.

Drifting Buoys

Drifting buoys may be deployed or may drift
outside the footprint of the geostationary satellites.
Together with their limited power, this means that
they must often depend on the polar orbiting satellites
for data transmission. Data from drifting buoys
are typically transmitted to the Polar Orbiting
Environmental Satellites as they pass overhead.
The data are stored until the satellite passes in ‘sight’
of one of the receiving stations around the world.
After being downloaded, the data are quality checked
using automated algorithms and released on the
Global Telecommunications System. Raw data can
also be acquired on Local User Terminals and used
immediately by a forecaster with access to that
terminal.

Advantages and Disadvantages of
Moored and Drifting Buoys

Asmight be expected, the advantages ofmoored buoys
are often the disadvantages of drifting buoys, and vice
versa. In designing a network for marine meteorolog-
ical measurement, these advantages and disadvantag-
es must be weighed. In some cases, a moored buoy
network is clearly preferable. Sometimes deployment
of drifting buoys is more desirable. A mixture of
moored and drifting buoys can provide a solution to
some needs.

Moored Buoys

Advantages Moored buoys offer some distinct ad-
vantages over drifting buoys. Most importantly, they
provide high-quality, real-time data in scheduled data
messages when reporting via geostationary satellites.
They are a mature technology, so there are few failures
because of unproven technology; they have demon-
strated their performance over years of use andmillions
of data messages per year. Moored buoys have, on

average, a 3-year lifetime before they have to be
replaced. The buoy hulls used by most weather
services have virtually unlimited lifetimes, since they
can be recovered and refurbished many times. Some
of the NOMAD buoys being used by NDBC, for
example, were built in the 1950s and are still service-
able.Moored buoys are at fixed locations, allowing the
accumulation of a long time-series of data from a
constant location, important for understanding cli-
mate. Finally, the buoys typically have enough reserve
buoyancy and power to allow measurement capability
to be added.

Disadvantages Theprimary disadvantage ofmoored
buoys is their cost to build and operate. A network of
moored buoys is an expensive proposition, although
when a per-measurement view is taken, they are often
competitive with any other buoy system. The advan-
tage that moored buoys offer by being in a fixed
location can also be seen as a disadvantage, since they
are designed to be unable to drift with currents.
Because of their size, moored buoys require significant
deployment resources and their deployments must be
well planned. This means that a moored buoy cannot
usually be deployed in front of a major storm. Rapid
response is not an option.

Drifting Buoys

Advantages Aprincipal advantageofdriftingbuoys is
their relative low cost, which allows them to be used as
an expendable system, although some can be recovered
and refurbished. They are also very valuable in remote
ocean areas, where servicing a buoy is difficult and
expensive. The drifting buoys now in use have a 1- to 2-
year lifetime, allowing them to provide data of accept-
able quality from a long track across the ocean. Their
sizeandpackagingallowtheuseofmanydifferent types
of deployment resources. This alsomeans that they can
beused for rapid response todeveloping storms, suchas
hurricanes, or deployed in arrays of flexible design.
Somedriftingbuoys canalsobemoored,making thema
very flexible buoy system. Finally, they can be drogued
to act as Lagrangian drifters.

Disadvantages Because drifting buoys report
through the polar orbiting satellites, their data are
not provided on a schedule. This results in some of the
data not being available in real time, reducing the
usefulness of the data to operational forecasters. The
buoys are not in fixed locations, so they do not provide
useful climate data for certain applications. There are
also trade-offs in data quality because of the size of the
buoys and their intimate contact with the ocean
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surface. Compared to moored buoys, some drifting
buoys have a relatively short life. Finally, because of
their size, it is difficult to add sensors and increase their
capabilities.

Conclusions

Buoys provide data from a significantly under-meas-
ured portion of the Earth’s surface. Their data are
critical to marine warnings and forecasts, as well as to
forecasts over considerable portions of the continents,
often many hundreds of miles from the coast. The
importance of meteorological data from buoys is
recognized worldwide, with a number of nations
maintaining networks of moored buoys or deploying
drifting buoys in considerable numbers. Buoys are
dependable, proven technology.

See also
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Introduction

Although kites have been used both for practical
purposes and for entertainment for thousands of
years, their use for atmospheric research dates back
only two hundred years or so. Information derived
fromkite-bornemeasurements comprisedour first real
systematic study of the free atmosphere. The use of
kites for atmospheric research peaked sharply around
the beginning of the twentieth century, with near-daily

observations being made at many observatories
throughout the world. Techniques developed during
those early times provided a blueprint for subsequent
research using data gathered from balloons, airplanes,
and, ultimately, satellites. The use of kite-borne
meteorological data collection has been renewed
during the past decade and currently occupies a well-
defined niche in meteorological research. There are a
number of advantages provided by having an instru-
mented kite flying for extended periods a few kilome-
ters above the Earth’s surface that cannot be provided
by any othermeans.The full height range of this region
is difficult to access more or less continuously by any
other technique.
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A Brief History of Atmospheric
Research Using Kites

Professor Alexander Wilson and his student Thomas
Melville, both of the University of Edinburgh, Scot-
land appear to have initiated the first kite-borne
atmospheric measurements in 1749. Wilson and
Melville launched a string of paper kites on a single
tether, each kite carrying a thermometer attached to its
tail. All of the thermometers were enclosed in ‘bushy
tassels of paper’ to insure a soft landing, and were
released from their respective tails by smoldering
‘fuses’. If gathered quickly after their recovery, the
thermometers yielded a rough estimate of the temper-
ature profile up to heights where the highest kite was
observed ‘disappearing at times among the white
summer clouds’.

These early temperature ‘profiling’measurements in
Scotland were followed in 1752 in Philadelphia by the
well-known atmospheric electricity experiment of Ben
Franklin. No further kite-borne atmospheric experi-
ments were reported for almost seventy years, until
Captain Parry on his second Arctic expedition to
Igloolik in the Canadian Arctic in 1822 attached a
thermometer to a paper kite, which achieved an
altitude of about 130m. Although he was attempting
to measure the lapse rate, he found that the temper-
ature was relatively constant. In a similar measure-
ment made at the same location in 1836–37, however,
Admiral Back on HMS Terror raised a kite to three
times that altitude from the deck of his frozen-in
ship, and detected a 5.5 degree (Celsius) temperature
decrease.

The first successful measurement of cloud-base
heights was made some three years later by meteorol-
ogist J. P. Espy, a member of the Franklin Kite Club in
Philadelphia. While Espy only intended to verify his
theoretical calculations of cloud-base heights, he also
detected strong updrafts just below the clouds as well
as evidence of an electrically charged atmosphere.
These successes were followed in 1876 in New Jersey
by Cleveland Abbe, who flew a kite to determine the
depth of the sea breeze.

Early measurements of horizontal wind profiles
were begun in themid-1880s in England byE.Douglas
Archibald. Archibald is considered by many to be the
first person to make systematic use of kites for
atmospheric measurements. During these early meas-
urements, he used a series of tandem-connected kites
to profile the wind to over 395m. Archibald used a
self-recording kite-borne anemometer, and flew his
kites on a piano-wire tether, following the suggestion
of Sir William Thompson (Lord Kelvin).

Following Archibald, most early meteorological
kites were flown on piano-wire tethers. Piano-wire

provided greater strength per unitweight anddiameter
than any other tether. While piano-wire tethers
enabled systematic measurements to altitudes of
many kilometers, the use of a conducting tether
proved to be quite dangerous. The danger arose from
the fact that the atmosphere is strongly electrically
charged, even under clear weather conditions, and the
tether provided a convenient discharge path between
the kite and the ground. At least one instance has been
recorded in the scientific literature of the electrocution
of an operator/technician flying a kite during a
pending thunderstorm.

Actual measurements of the atmospheric electric
field during this same era were made by Alexander
McAdie at Blue Hill (Massachusetts, USA) and
L. Weber at Breslau (Germany). These studies, which
incorporated kite-borne electrometers, built on the
pioneering work of Franklin and Espy.

On the basis of these early developments in kite-
borne atmospheric research, a series of kite and
balloon observatories were constructed during the
waning years of the nineteenth century and the early
part of the twentieth century. These observatories
were dedicated primarily to systematically profiling
winds, temperatures, humidity, and pressure to better
understand the weather. The famous Blue Hill Ob-
servatory near Boston (a privately funded observatory
built by A. Lawrence Rotch) played amajor part in the
development of meteorological kite technology. For
example, itwas fromBlueHill thatW.A. Eddy in 1894
succeeded in launching the first recording thermo-
graph. Eddy’s success was followed a year later at the
observatory by the launching of a recording meteoro-
graph (temperature, pressure, and humidity). On a
somewhat grander scale, the US Agricultural Depart-
ment’s Weather Bureau (predecessor to the USWeath-
er Service) established 17 sites east of the Rocky
Mountains beginning around 1898, where kites were
flown on a daily basis (weather permitting) until 1933.

Additional outstanding contributions to scientific
kite researchweremade around the turn of the century
at a number of observatories in Europe, aswell as from
other groups around theworld. L. P. Teisserenc deBort
not only founded the Trappes Meteorological Ob-
servatory (kite and balloon studies) near Paris, butwas
exceedingly active in making balloon and kite-borne
measurements inHald (Denmark) and aboard ships in
the North Sea. The Lindenberg Observatory near
Berlin, which still exists today, was originally estab-
lished by Professor R. Assman as an observatory for
kite-born measurements. In addition, a number of
smaller facilities were established throughout England
after the turn of the century. Data from these facilities
added appreciably to a knowledge of atmospheric
conditions over the British Isles. Other observatories
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were established in subsequent years in Russia, Egypt,
and India, while extended campaigns using kites and
balloons were made to such far-flung places as East
Africa, the Bahamas, Java, and Antarctica. In support
of the global scale of these activities, the International
Conference on Aeronautics held in Paris in 1896,
established ‘international days’ – usually the first
Thursday of every month – to coordinate kite and
balloon flights in all countries.

With regard to kite-born observations from boats,
Teisserenc de Bort (Trappes) and Lawrence Rotch
(Blue Hill) cooperated in an observational program
aboard Rotch’s converted steam launchOtaria. These
observations extended from the Azores to the Equator
in the centralAtlantic. Their ocean-going observations
followedRotch’s initial trans-Atlantic voyage between
Boston and England, during which he flew instru-
mented kites on five out of a possible eight days.
During this period ProfessorHergesell (Germany) also
flew a kite from a launch owned by Count von
Zeppelin on the Bodensee, and made atmospheric
measurements from the Princess Alice, a yacht owned
by the ruler of Monaco, in the Atlantic. The outstand-
ing work of W. H. Dines (an early president of the
Royal Meteorological Society) off the west coast of
Scotland during 1898–1903 also provided strong
impetus for the kites-from-boats technology and for
studying the atmosphere over the ocean.

Although it is difficult at this point to determine the
absolute level of activity in kite-born atmospheric
research during this early period, it is clear that
essentially all of the detailed information on the first
few kilometers of the atmosphere around the globe
before 1930was derived from kite-borne instruments.
What is certain, however, is thatwell over one hundred
publishing scientists were actively involved in this
technology during the three to four decades centered
on the turn of the century. During this period, tens of
thousands of atmospheric kites were launched around
the globe, from the Arctic to the Antarctic and from
hundreds of locations on all of the remaining conti-
nents as well.

The development of both inexpensive balloon-
sondes and aircraft in the early 1930s was instrumental
in the decline of the use of kites for atmospheric
research. After about 1930, systematic atmospheric
measurements by kites were viewed as too labor-
intensive and expensive. M. W. Harrington, Chief of
the US Weather Bureau in 1893, estimated the cost of
a single kite-borne profile to B4.5 km to be $16,
roughly $320 in today’s dollars. In addition, beginning
in the early 1930s, kites were seen as impediments to
the burgeoning aircraft activity.

With regard to the altitudes obtainable by meteor-
ological kites, the Blue Hill Observatory prior to the

turn of the century had an impressive multiyear record
of lofting meteorological kites with recording instru-
ments to altitudes well in excess of 3 km. These
altitudes were typically reached by connecting a series
of separate kites along the same tether. Other observ-
atories listed comparable heights during the same era.
These accomplishments should be contrasted with the
highest record height of 9740m reported by the
Lindenberg Observatory in 1919 using tandem kites.

The Current Status of Meteorological
Research Using Kites

Renewed interest in the use of kites for atmospheric
research has become apparent over the past decade or
so. This interest has arisen primarily because of the
inherent difficulty in making fine-scale, continuous,
in situmeasurements in the first few kilometers of the
Earth’s atmosphere. Available techniques, which in-
clude meteorological towers, tethered balloons, low-
flying aircraft, and remote sensing systems (satellites
and ground-based radar and lidars), all have signifi-
cant restrictions. Towers donot extend far enough into
the region to provide a number of important answers.
Tethered balloons are typically limited to 1–2km, and
then only under light-to-moderate wind conditions.
Low-flying aircraft are unable to examine small-scale
features because of their speed, and there are obvious
safety limitations involved in flying too low. Finally,
remote sensing instruments are limited in height reso-
lution and normally measure only specific quantities.

In contrast, present-day kite platforms offer a
relatively inexpensive means of obtaining more-or-
less continuous measurements of a large variety of
critical quantities over a single site. Measured quan-
tities include chemical constituents as well as atmos-
pheric dynamics. Perhaps the best summary of the
potential of kite-borne technology for atmospheric
science is expressed by stating that it is virtually
impossible to obtain continuous, high-resolution
measurements of any atmospheric quantity for ex-
tended periods (i.e., for many hours) over a single
location at altitudes greater than about 2 km by any
other means.

Present-day Kite Platforms, Tethers,
Winches, and Capstans

The current technology for kite-borne measurements
is very similar to that used in the early days, except that
present-day systems use state-of-the-art materials and
the data-gathering instruments are more complex.
Although a variety of kites have been used in current
research, the kites used most often are of moderate
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aspect ratio, ram-air-filled parafoils designed for
stability, portability, and reasonable payload capabil-
ity at high elevation angles. (TALAkites have also been
used successfully tomeasurewind speed at kite level by
measuring the tension along the tether.) Parafoils have
no rigid supporting structures, are easily transporta-
ble, and are typically constructed of nylon or Kevlar-
strengthened Mylar with Kevlar or Spectra bridles.
Kite sizes range from small kites of a few square meter
areas for lofting light payloads, to larger payload
systems having areas of 15–20m2. Figure 1 shows a
typical parafoil used in atmospheric studies.

In contrast to the piano-wire kite tethers used in the
early measurements, present-day kite tether is nor-
mally Kevlar, Spectra, or some equivalent high-
strength modern fiber. Typical tether diameters range
from 1 to 3mm. Proper tether selection is very
important, since the weight of the tether can be a
significant fraction of the payload weight. Also, tether
drag increases significantly with the line diameter.
Since the tether length is typically twice the height of
the kite, both the tetherweight and the drag are critical
factors in achieving maximum kite heights. Typical
tether breaking strengths lie in the range 100–400 kg.

For the kite sizes and line tensions outlined above, it
is imperative to make use of some sort of winching
system to raise and lower the kites under awide variety
of wind conditions. Typical requirements include the
ability to allow the kite to be let out rapidly at low line
tension and to bring it in reasonably rapidly under
heavy wind conditions, i.e., at high line tension. An
additional requirement is to be able to hold the kite on
a fixed tether length for extended periods. It is also
important to remember the inadvisability of winching
the tether directly onto a take-up reel. One problem in
using a direct take-up reel as a winch is that each

additional wrap on the take-up reel under tension
dramatically increases the inward force on the reel.
Thus, the thousands of turns of Kevlar put directly
onto a take-up reel at high tensionwill collapse the reel
unless it is carefully designed. This problem was
effectively demonstrated in 1899 at Blue Hill, when a
$10 000 heavy steel winch purchased for winding in a
piano-wire kite tetherwas crushedbeyond recognition
when it was first put into operation.

In view of this problem, many meteorological kite
systems incorporate a capstan to reduce the line
tension prior to spooling the tether onto a take-up
reel. A few turns around a capstan greatly reduces the
line tension and thereby allows the line to be spooled
easily onto a take-up reel. Capstans can be electrically
driven or driven by gas or diesel engines. At remote
field sites it is possible to use the rear wheel of a vehicle
that has been replaced by a capstan, after blocking up
the rear axle. In this operation, the vehicle’s engine
supplies the necessary power, while the transmission
enables the line to be reeled out or in rapidly. In
addition, the line length can be fixed indefinitely by
either the vehicle’s brake or park system. As the tether
comes off the capstan it can be wound at low tension
around the take-up reel (a reel driven by a small
gasoline engine or by a comparable electric motor
using the car’s battery as a power source). An artist’s
sketch of a vehicle-driven winch system lofting a
parafoil kite (or a balloon) is shown in Figure 2.

Meteorological Payloads and Data
Collection

Kite-borne payloads for meteorological measurements
are limited by both weight and power requirements. A
general rule of thumb is that the payload weight should
not exceed 10kg including its power source. (This is a
practical and not a fundamental limitation.Man-lifting
kites lifted payloads well in excess of 100kg to high
altitudes at the turn of the century.) In addition, the
physical size of a payloadmust be reasonably small and/
or aerodynamically shaped for minimal drag. Further-
more, the payload packagemust operate reliablywithin
the temperature, pressure, and humidity constraints
imposedby the environment.Other than that, apayload
canconsist of any typeof instrumentation thatmeets the
criteria outlined below.

Payload data collection can be accomplished by
payload-to-ground telemetry, provided that such a
capability is included in the instrument payload.
Alternatively, data can be stored onboard digitally
for subsequent downloading after the payload has
landed. The choice between these two possibilities
involves consideration of the quantity of data being

Figure 1 Large parafoil kite used for atmospheric studies.

Typically, the payload is attached some distance below the kite

on a separate line attached to the tether.
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collected along with the possible need to control the
payload position based on the on-line observations.

The standard meteorological measurements that
have been made using kite-borne platforms since the
turn of the twentieth century include vertical profiles
of temperature, pressure, relative humidity, and wind.

One example of the inherent vertical resolutionof kite-
bornewind speed and temperature profiles is shown in
Figure 3. In addition to these quantities,measurements
that have been made over the past decades include
both chemical properties (e.g., water vapor andozone)
and dynamic properties (e.g., atmospheric waves,
instabilities, and turbulence properties). Future meas-
urement possibilities are primarily limited by the
payload limitations.

Payload Power Sources

The most obvious payload power source is batteries.
Since most instruments can be designed to use low
voltages (e.g., 5–18VDC), it is possible to use batteries
that are capable of maintaining the required voltage
and current capabilities under relatively cold condi-
tions (i.e., � 201C).

Alternative energy sources include both light-
weight wind-powered generators carried aloft and
solar cells.Wind-powered generatorsweighing rough-
ly 1 kg can supply a few watts of power on a
continuous basis. This technique can be useful, since
a reasonably strong wind is all but certain if the kite is
in the air. Moreover, since the wind blows night and
day, only minimal power storage is necessary. Solar
cells, on the other hand, are lighter in weight but
require considerable storage for nighttime operations,
since they supply power only under daylight condi-
tions. Also, solar panels need to be oriented relative to
the Sun’s position.

A third possible energy source is the Earth’s global
electric field. Under clear-air conditions, vertical
electric field magnitudes at typical kite heights are of
the order of tens of volts per meter. Unfortunately, the
source impedance of this ‘supply’ is quite high and
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Figure 2 Sketch of a winch system for kite/balloon-borne
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extraction of reasonable amounts of power is
problematic. Also, although the global electric field
is predictable under clear-weather conditions, the
presence of local convective activity produces greatly
enhanced, and typically reversed, electric fields. Little
work has been done to date to develop the Earth’s
electric field as a power source for kite-borne studies,
although early attempts to extract power from the
electric charges carried down a kite wire succeeded in
driving a very small electric motor.

The WindTRAM

A recent innovation by a team at the University of
Colorado, the WindTRAM (Tethered Rover for
Atmospheric Measurements) has added an interesting
new dimension to kite-borne atmospheric measure-
ments. This development uses the kite as a ‘sky hook’,
i.e., as a relatively stable, semi-fixed point high above
the Earth’s surface. With the kite at altitude, measure-
ments can be made using instruments suspended
below the WindTRAM. As shown in Figure 2, the
TRAM itself is basically a wing-like device that uses
wind power to travel up and down the tether. The
TRAMwinghas an inverted airfoil to provide negative
lift when the TRAM is traveling downward (away
from the kite). Travel direction is controlled using
conventional radio-control (RC) systems. Typical
speeds along the tether are 3–9m s�1, corresponding
to vertical velocities of 2–6m s�1. One advantage of
the WindTRAM is that continuous raising and low-
ering of the kite to obtain profiles is obviated, so that
profiles can be made more rapidly. One disadvantage
of the technique is that wind speeds need to be greater
than 5m s�1 at all heights between the ground
and the kite. This requirement is typically not met
during nighttime conditions, when winds aloft are
reasonable but the ground winds are either weak or
nonexistent.

AdvantagesandDisadvantagesofData
Gathering Using the Kite Technique

Onemajor advantage of using kites formeteorological
measurements is that they are relatively simple, light-
weight, portable, devices that can operate in winds
ranging from roughly 5 up to about 20m s�1. They are
also capable of carrying reasonably sized payloads to
altitudes of at least a few kilometers, and can remain
aloft for days under ideal conditions. Moreover, the
payloads are reusable, in contrast to those carried aloft
by untethered balloonsondes that are normally not
recovered. Kites can be flown either from land-based
locations or from boats, with boat flights being

somewhat preferable (except for the more confined
working conditions), since the boat’s velocity controls
the effective wind seen by the kite. This last capability
opens possibilities of inexpensive lower-atmospheric
data collection at mid-ocean locations.

The primary restrictionon the type (or types) of data
collection lies with payload weight limitations. Mul-
tiple sensors can easily be carried aloft by the same
platform. Also, many similar sensors can be attached
at preset distances along a secondary line suspended
from the main tether. This technique provides a more
nearly vertical profile of the measured quantity.
During ascent/descent periods, multiple sensors also
provide a short-time history of such quantities as the
sensors pass sequentially through the same regions.
Alternatively, a pulley system on a secondary line can
carry sensors from the ground to kite heights for more
extended vertical profiles. Data gathered by meteor-
ological kite systems can provide excellent height and
time resolution profiles from the groundup to at least a
few kilometers on a relatively continuous basis.
Alternatively, measurements can, if required, be
made for extended periods at a given altitude over a
single location. Finally, atmospheric sampling is
‘clean’, in that the payload can be suspended well
below the kite to minimize contamination and to
minimize undesired ‘blocking’ effects that can occur in
other types of atmospheric sampling.

There are a number of disadvantages to using kites
for atmospheric sampling. One fundamental disad-
vantage is that kites require winds of at least 5–7m s�1

at kite level to remain aloft. Furthermore, kites are not
all-weather systems and cannot fly during periods of
high convective activity or in strong storm conditions.
More importantly, perhaps, the principal difficulty
encountered in many campaigns involves obtaining
permission from the FAA (or its foreign equivalent for
non-US flights) to fly the meteorological kite with
payload higher than the normally allowed few hun-
dred meters above the ground. Kites flying somewhat
above these heights are of reasonable concern for small
aircraft flying in the area. For greater heights, the
problem extends to regularly scheduled commercial
aircraft. This problem can normally be circumvented
by obtaining a NOTAM (NOTice to AirMen) that
prevents aircraft from temporarily flying in the area, or
by flying in restricted areas in which aircraft are
permanently prohibited from flying.

See also

Boundary Layers: Observational Techniques In Situ.
Clear Air Turbulence. Cloud Chemistry. Clouds:
Measurement Techniques In Situ. Observations for
Chemistry (In Situ): Particles.
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Introduction

The influence of the lower atmosphere on our daily
lives is immediately clear because of the weather
processes that occur there. The processes that occur in
the upper atmosphere are also important, although
that did not become evident until the space age began
at the end of World War II. As we become more
dependent on space and satellite communications, as
well as traditional radio communications, under-
standing those processes becomes critical. The iono-
sphere, which covers the region from approximately
80 km to altitudes above 1000 km, is a mixture of
neutral gas constituents and charged particles. The
plasma, as it is known, and the electrodynamic forces
that drive it can produce small-scale fluctuations in the
charged particle densities that can affect radio and
satellite communications significantly. The tempera-
tures, composition, and density of the neutral gas
component can also have large variations in response
to both local processes and changing activity on the
Sun. Such effects can alter satellite and other space-
craft trajectories enough to be a concern. Measuring
the properties of the atmosphere at high altitudes
where the dynamical properties are both interesting
and important but where the densities are low enough
to make measurements difficult has been a continuing
challenge, especially in the period since World War II.
The measurement techniques used extensively include
ground-based remote sensing with radars and optical
techniques, measurements from satellites, and meas-
urements from suborbital rockets, also known as
sounding rockets. This article will focus on the
techniques used to obtain measurements from the
rocket platform.

The layers of the atmosphere closest to the surface of
the Earth are the troposphere and stratosphere. Above
45 to 50 km altitude, where the stratosphere ends, the

temperature again decreases with altitude in the layer
known as the mesosphere, followed by a region of
steadily increasing temperature above 90 km, known
as the thermosphere, where the absorption of extreme
ultraviolet radiation from the sun is primarily respon-
sible for the temperature increase. Radiation from the
Sun also leads to the ionization of neutral particles in
that region which, because of the importance of the
charged constituents, is also known as the ionosphere.

Between the surface of the Earth and the region near
100 km altitude, the density of the atmospheric gas
decreases by a factor of approximately 1 000 000, and
traditional techniques for making measurements
in situ from platforms such as balloons or aircraft do
not work, since the platforms cannot be supported by
the atmosphere. New possibilities for probing the
upper-altitude regions became available at the end of
WorldWar II when rockets developed by the Germans
during the war and captured by the Allies became
available for scientific investigation.

History

Sounding rocket studies of the upper atmosphere
began in 1946 shortly after the conclusion of World
War II. At the close of the war in Europe, the Allies
captured the remaining German supply of V-2 rockets
that were developed at Peenemunde and used in the
bombing of Britain. The V-2 was 14m in length,
weighed almost 13 000 kg, and had a range of over
300 km. In all, 67 complete rockets were assembled at
White Sands, New Mexico, from captured parts. 60
were ultimately launched between 1946 and 1952,
and a number of these flights were used to make
measurements in the upper atmosphere. In a vertical
flight, the V-2 could reach an altitude exceeding
160 km, i.e., well into the ionosphere.

It was clear from the outset that the supply of V-2
rockets was limited, and development of rockets
designed specifically to be sounding rockets started
almost immediately. These included the WAC
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Corporalwhichwas first developedbefore thewar and
the Aerobee. The new rockets had limited capabilities,
however. The WAC Corporal, for example, was only
able to reach an altitude of 70 km with a payload of
11 kg, and the Aerobee could reach 100 km with a
70 kg payload. By comparison, the V-2 could carry a
1000 kg payload to an altitude of 160 km. The Viking
was the first sounding rocket that provided capabilities
comparable to the V-2, with a maximum performance
that allowed it to reach an apogee of 220 km with a
payload weight of 340 kg. In all, 47 V-2 rockets, 91
Aerobees, 8 Vikings, and 1 V-2-boosted WAC Corpo-
ral were fired atWhite Sands in the upper-air program
between the spring of 1946 and the fall of 1952. The
newer designs during that period focused increasingly
on the solid propellants that are still used today rather
than the liquid fuels, such as the ethyl-alcohol-based
fuel used in the V-2. Solid fuel made storage and
handling much safer and simpler.

Launches from White Sands of various sounding
rockets continued throughout the period up to 1956 at
which time planning for what became known as the
International Geophysical Year (IGY) began in ear-
nest. Part of the emphasis of the IGY was to provide
detailed global observations of the upper atmosphere
using both ground-based and rocket measurements. A
series of launches were carried out in the year leading
up to 1958, with a large number of launches in the
International Geophysical Year itself. By this time the
importance of the near space region for communica-
tions, satellites, and weapons systems was clear, and
the National Aeronautics and Space Administration
(NASA) was established on 29 July 1958 as a central
organization that would act as the focus for space
research. At that time, much of the sounding rocket
activity designed to provide critical measurements of
upper-atmosphere parameters was moved to Wallops
Station on the east coast of the Delmarva Peninsula in
Virginia. Other NASA facilities also continued to
support sounding rocket activity, as did the research
labs within the military branches. Eventually all
sounding rocket activity in the United States became
consolidated at the Wallops Flight Facility in 1980.
Since the NASA sounding rocket program began in
1958, there have been over 2800 science flight
missions.

The first sounding rocket program for studies of the
upper atmosphere was developed and continues today
in the United States, but a number of other countries
have also had and continue to have extremely active
rocket programs. Ongoing programs include those in
Japan, India,Norway, Sweden,Canada, andBrazil, all
of which have active permanent launch facilities.
Other countries that have carried out launches at
various times in the past include Germany, France,

Italy, Spain, Denmark, Australia, and Pakistan. In
addition to the fixed launch facilities, a number of
remote sites have also been used on a campaign basis
for special-purpose launches. These have included
Peru, Greenland, Puerto Rico, and North Africa. The
maximum launch rate in the United States occurred in
the mid-1960s with over 190 launches in 1965. The
program currently provides 20–30 flight opportunities
per year with launches from a variety of launch sites
throughout the world. The level of activity worldwide
varies, although the trends are the same as in the
United States, with a decrease in the number of
launches today as compared with the 1970s, for
example.

In part the launch rate has decreased because of the
improvements and greater availability of ground-
based remote sensing and satellite techniques and in
part because the size and complexity of the rocket
payloads has increased, so that the rockets being flown
today are, in fact, sophisticated spacecraft that cost
more and require a longer time to design, manufac-
ture, and test. In the early days of the sounding rocket
program immediately after World War II, the payload
instrumentation was often quite simple, with a single
sensor and a payloadweight of a fewkilograms. As the
technology has advanced and the science questions
have become more complicated, the payloads have
also become larger and more complex. Sounding
rockets today often carry suites of 5–10 different
instruments, have attitude control systems to orient
the payload in different directions during the flight,
and in some cases even have independent sectionswith
instruments and telemetry that separate from themain
payload so that large-scale gradients or fluctuations in
the medium can be measured.

The increase in mass and volume has led to the
requirement for more powerful vehicles. Some vehi-
cles are made specifically for scientific applications.
Notable examples are the Black Brant rocketsmade by
Bristol Aerospace in Canada and the Japanese S-series
rockets. The United States uses a combination of
science vehicles and military surplus rockets such as
the Taurus, the Nike, and the Orion for the scientific
sounding rocket experiments. Many of the rockets
used today are two- or even three-stage vehicles,
and payload diameters are generally 14–17 inches
(36–44 cm).TheBlackBrantXI, for example, is a three-
stage vehicle that can reach altitudes close to 600 km
with a 300 kg payload. The vehicles used today for
sounding rocket studies use solid fuel exclusively.

Safety requirements dictate that launches can take
place only in isolated locations, since a sufficiently
large area has to be available for the unguided rockets
to impact safely without danger to people or property.
This condition is satisfied in a few places where
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established ranges exist and in some remote and
isolated areas. Active sounding rocket ranges within
the United States, for example, include White Sands,
New Mexico, at the site of the first atomic weapons
tests, Wallops Island, Virginia, on the east coast of the
Delmarva Peninsula, and Poker Flat, Alaska, located
just north of Fairbanks.

An unusual chapter in the history of the sounding
rocket program occurred in the late 1950s and early to
mid-1960s when gun-launched payloads were devel-
oped and used. Both 5-inch and 16-inch guns were
built. The latter consisted of two 16-inch Navy ship
gun barrels welded end-to-end and reinforced with
steel support web to minimize the barrel droop when
the gunwas elevated. The propulsionwas provided by
bags of gunpowder of the type used in standard
artillery firings. Since there was no need for a rocket
motor, the vehicle consisted of the payload only. The
primary launch sites were the island of Barbados in the
Caribbean and the test facility at Yuma, Arizona,
although some tests of the smaller gun were also
carried out at the NASA facility at Wallops Island,
Virginia. The 16-inch gun in particular provided a
simple and relatively inexpensive system for getting
payloads into the ionosphere. In addition to the
relatively low cost, the other primary advantage of
the system was that a series of launches could be
carried out in rapid succession. It was estimated that
the gun could be cleaned and reloaded in a little over
half an hour. A number of experiments were carried
out in which payloads were launched at 1–2-hour
intervals throughout the night. Themain disadvantage
of the gun-launch approach was that the payload
accelerations, i.e., g-forces, during launch were as
much as 1000 times greater than those produced by a
conventional rocket motor. As a result, there were
significant ongoing problems with telemetry systems
and even the simplest type of instrumentation, and
therewas only limited success. Themost fruitful use of
this technique was for chemical tracer release exper-
iments which provide a visual means for tracking the
movement of the atmosphere, i.e., the winds, and do
not require electronics. More than 65 wind profile
measurements using trimethyl aluminum (TMA) as a
tracer of the neutral flow were carried out from
Barbados alone. By the mid-1960s there was heavy
emphasis on the use of more conventional rocket
motor systems which allowed more complicated and
fragile electronics to be used, and the gun launch
program was brought to a close. Recently there has
been some renewed interest in the techniquebecause of
the relatively low cost and because smaller and much
more rugged electronic devices are possible now with
the integrated systems that can be made using modern
solid-state electronics.

Techniques

Although sounding rockets have been a common
element in a number of middle and upper-atmosphere
studies since theprogramstartedafterWorldWar II, the
instrumentation used on the rockets has varied greatly.
In fact, the numberof techniques is too large to list them
all here. Some of the more common and representative
measurements will be described, however.

The majority of the payload instruments used make
measurements with an electronic sensor and relay the
measured value to a receiving stationon the groundvia
a telemetry radio link. In the early days of the program,
analog modulation of the radio signal was used to
relay the information. Telemetry systems have evolved
together with digital electronics, and modern systems
now transmit information as digitally encoded signals
at kilohertz and even megahertz rates.

Examples of electronic instruments used on rocket
payloads can be as simple as a thermistor for meas-
uring temperatures or more complicated, such as a
Langmuir probe for measuring electron densities, a
double probe for measuring the strength of the electric
field, or a mass spectrometer for measuring the
composition of the neutral or ionized component of
the atmosphere. These techniques will be described in
more detail below.

Temperature Profile Measurements

One objective of the sounding rocket program from
the earliest days in the late 1950s was to develop an
inexpensive vehicle that could carry meteorological
instruments above 30 km, the maximum altitude of
balloon flights. Prior to 1970, the Arcasonde was used
extensively. After 1970 the Super Loki, which is less
wind-sensitive at takeoff than the Arcas, was used
almost exclusively. These small rockets can easily be
handled by one person and can carry a payload of a
few kilograms to altitudes of 90 to 95 km. The
relatively simple and inexpensive vehicles have been
used extensively for routine sampling of the strato-
sphere andmesosphere to obtain density, temperature,
and wind profiles. The actual measurement is usually
made on the downward portion of the flight and is
telemetered, i.e., sent by radio waves to a receiver on
the ground. The temperature system is based on a
decelerator called a ‘Starute’ that is released at apogee.
The Starute is a combination of an inflatable sphere
with an inflatable torus surrounding the center to
enhance the stability of the platform as it descends.
The payload consists of a bead thermistor to measure
the temperature profile. The wind profile is estimated
by tracking the horizontal movement of the Starute
with radar during the descent.
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Electron Density Profile
Measurements

One of the earliest instruments flown on sounding
rockets was the Langmuir probe, which is used to
measure the electron density profile in the atmosphere.
The first flight was in the late 1940s, and the same
instrument is still used today in many payloads,
although with improvements in the electronic design.
The probe consists of an electrode with an applied
potential that is inserted into the plasma. The current
flowing from the plasma to the electrode is then
measured. Since the current density is related to the
plasma density, the current measurement can be
converted to an ambient plasma density value. In the
Langmuir probe measurement, the voltage is often
swept over a range of values and the voltage–current
characteristic of the probe is measured. By sweeping
the voltage, both the electron density and the electron
temperature can be measured.

Although the basic principle of the Langmuir
probe is simple, there are numerous complications
in the design of an actual instrument. The shape
of the electrode can affect the measurement. Varia-
tions in the conductivity of the electrode due to
imperfections in the metal or contaminants on the
surface can bias the measurements. Effects of the flow
past the electrode due to the orientation of the sensor
relative to the rocket orientation can also affect the
measurement.

Electric Field Measurements

A type of instrument used extensively to measure
electric fields in the atmosphere is the double probe,
which haswhat are essentially twoLangmuir probes at
floating potential. Generally these are pairs of con-
ducting spheres on nonconducting booms deployed
symmetrically about the spacecraft. For a body
immersed in a plasma, the floating potential is such
that the net current to the body is zero. If a background
electric field exists in the medium then a potential
difference will be induced between the sensors. In
reality, the potential difference has contributions from
both the ambient field and the field generated by the
motionof the sensor systemacrossmagnetic field lines.
If the motion of the rocket is known accurately, that
contribution to the measured potential difference can
be subtracted, thus giving a measurement of the
ionospheric electric field. Complications include the
effects of potentials induced by photoemissions. The
latter will cancel if the sensors are completely sym-
metric and if the conducting surfaces are as uniform
and similar as possible. Other potential problems
include the effects of the rocket wake and the currents

drawn by the voltmeter used to measure the potential
difference.

Composition Measurements

Mass spectrometers have been used extensively
throughout the history of the sounding rocket pro-
gram to measure the composition or concentration of
various constituents in the atmosphere. The basic
instrument is an adaptation from particle accelerator
techniques used in the laboratory. Charged particles
are allowed to enter the instrument through an
aperture on the surface of the rocket payload. As the
particles traverse the instrument chamber, their path
can be changed by applying electric or magnetic fields
within the chamber, and the actual trajectories will
depend on the charge to mass ratio. By varying the
fields appropriately, the trajectories can be changed so
that only the particles with a certain charge-to-mass
ratio strike the detector. The measured current is then
proportional to the number of particles. The technique
obviously requires that the particles be charged,which
would be the case for ions. A neutral mass spectrome-
ter operates on the same principle, but the gas particles
entering the chamber are charged first by exposing
them to an ion source near the aperture.

Potential problems arise if the density of the gas
entering the instrument is too high, since collisions can
occur between particles so that the trajectories
are altered. A typical operating pressure is 1.333
�10�4hPa, which is achieved only at altitudes far above
100 km. Measurements at lower altitudes require
that the pressure inside the mass spectrometer be
pumped down to the appropriate level. The first
instrument with a high-speed cryopump to measure
the ion concentration and composition in the middle
and upper atmosphere was already flown in 1963.

Photometer Measurements

Photometer measurements rely on the natural light
emissions from atmospheric gases to infer the density
profile of the emitting gases. When an atom or
molecule is excited by absorption of solar radiation,
collisions, or chemical processes, it produces light in a
very narrow spectral range as it relaxes to a less excited
state. Since each kind of molecule or atom has very
specific transitions, the intensity of the light that is
measured also gives a measure of the total number of
atoms that are emitting. A photometer mounted so
that it looks toward zenith as the rocket flies through
the atmosphere will measure the contribution from all
the emitters located above the rocket at any given
instant. This information can be used to construct a
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profile of the number of emitters as a function of
altitude.

Byusing liquid nitrogen to cool the photometers, the
background noise in the instruments can be reduced
considerably, and photomultiplier tubes can be used to
boost the signal detectability. Such modern improve-
ments in the instrumentation have resulted in
extremely sensitive instruments with large dynamic
ranges.

Other Techniques

There are a few techniques that do not rely on
telemetry. One used extensively is the chemical release
technique in which a chemical tracer is released from
the rocket payload as it traverses a range of altitude in
the atmosphere. The tracer is then tracked photo-
graphically from two more sites on the ground so that
triangulation techniques can be applied to the com-
bined photographic or video image data in order to
determine the motion of the tracers. Some of the
chemicals that have been used include barium, stron-
tium, lithium, sodium, and trimethyl aluminum
(TMA). All of these produce a visible cloud or trail
than can be seen with the naked eye in nighttime
conditions and therefore can be photographed with
reasonably short exposures of a few seconds’ duration.
The star background in the photographs is used to
determine the look direction to the tracer from a given
site. The look direction information from several sites
can then be combined to give the absolute location of
the tracer at a given instant, and the change in position
with time gives the velocity.

The various tracers used extensively include barium,
which ionizes when exposed to sunlight and thus
provides a way to track themotion of ionization in the
ionosphere. Since the barium released has to be in
sunlight but the observer has to be in darkness in order
to be able to see the tracer, such experiments are
usually carried out at twilight when those conditions
are fulfilled. The barium ismixedwith explosive that is
detonated to produce a cloud release that appears red
to the observer. Lithium and sodium produce resonant
scatter that are red and green, respectively, when
exposed to sunlight, but both remain neutral and thus
provide a means of tracking the nonionized compo-
nent of the atmosphere. The payload consists of
thermite mixed with the chemicals that is ignited to
start the release. The burn raises the temperature of the
metals sufficiently to vaporize them so that the
material is released as a vapor trail along the rocket
trajectory. As with barium, the requirement for
sunlight limits the time of the measurements to
twilight.

The tracer used in more payloads than perhaps any
other is trimethyl aluminum (TMA). The chemical has
the property that it reacts spontaneously with oxygen
or water. At surface pressures and densities, TMA
produces a rapid burn when exposed to oxygen
in the atmosphere, but at altitudes in the ionosphere
where the oxygen density is much lower the reaction is
much slower. The resulting chemiluminescence is
bright enough to be seen with the naked eye at night
for 5minutes or longer. Since TMA is neutral, meas-
urements of the wind profiles can therefore be
obtained at any time during the night, not just at
twilight.

Another type of measurement uses radio beacons to
measure the total electron content between the
rocket and a receiver on the ground. Beacon
systems operate on the principle that the effective
path length between a radio transmitter and a receiver
are affected by ionization in the intervening region.
Specifically the refractive index in a plasma is less than
the refractive index of free space, so that fluctuations
of integrated electron density induce different
variations in the phase path at each frequency.
By using dual-frequency radio transmitters on a
rocket and measuring the difference in the phase
of the two received signals on the ground, the
total electron content along the path between
the rocket and the receiver can be determined. By
making measurements of the phase difference
throughout the flight of the rocket, information about
both the horizontal and the vertical gradients in the
electron densities can be obtained. No telemetry is
required for this instrument.

Conclusion

Much of what was learned about the upper atmos-
phere during the first few decades after World War II
was discovered as a result of sounding rocket meas-
urements. More recently satellite technology has
become increasingly important for making extensive
measurements from the upper troposphere to the
lower thermosphere and extending to the upper part of
the thermosphere in some cases. The suborbital
sounding rockets continue to fill a special niche by
covering the gap between the measurements provided
by various ground-based remote sensing techniques
and sensing satellite measurements both in situ and
remote. The sounding rocket experiments flown
today can be justified on the basis of the science
objectives alone, but the sounding rocket payloads
are also a relatively inexpensive testbed for instru-
mentation that can later be flown on satellites.
Sounding rockets thus continue to provide a method
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for obtaining high-resolution in situ measurements
in near space at relatively low cost. The obvious
limitations are the requirement for a rocket
range where the vehicles can be launched safely and
can impact without danger to either the public or
property, and the relatively short duration of the
measurement.
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Introduction

There are numerousmethods for the detection of gases
in the atmosphere. These include various optical
techniques that are exploited for remote sensing and
in situ observations, as well as application of other
analytical approaches. The techniques discussed here
utilize a property of chemical reactions called chemi-
luminescence. These approaches have been shown to
demonstrate high sensitivity and in some cases high
selectivity. Chemiluminescence-based methods are so

reliable and sensitive as, in some cases, to be the
standard procedure for quantification of atmospheric
gases. Although some instruments based on chemi-
luminescence have been less successful, they will all be
discussed here. There is also a richfield of investigation
of the phenomenon of chemiluminescence in bio-
logical systems (called bioluminescence) that will not
be addressed in this article. Chemiluminescence has
been applied to awide array of scientific endeavors. Its
application to the quantification of atmospheric gases
is the present subject.

General Principles of
Chemiluminescence

Chemical reactions that proceed at a significant rate
are exothermic. In other words, energy is released
when the reaction occurs. Often the energy is mani-
fested as translational (movement) or vibrational
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(bond stretching or bending) action in the reaction
products, which can be observed as heating. The
opposite of exothermic reactions are endothermic
reactions. These reactions require added energy to
proceed; often this energy comes from the bath gas
(neutral, nonreacting species) or some other source.

The amount of energy released (or absorbed) in a
chemical reaction is readily calculable given the
ground-state energies of the reactants and products
(which are tabulated for many species); the energy
released in a reaction is the difference between the sum
of the energies of the products and the sum of the
energies of the reactants. In extraordinary cases,
enough energy is released in a chemical reaction to
promote products of the reaction into electronically
excited states. Depending on the circumstances, it is
possible for the reaction product then to emit a photon
whose energy corresponds to the difference between
an excited state and the ground state of the molecule.
The wavelengths of these photons correspond to
regions throughout the electronic spectrum, depend-
ing on the exothermicity of the reaction, the nature of
the products, and the location of energy states
of the reaction products; the most useful spectral
regions for trace-gas quantification are the near-
infrared, visible, or near-ultraviolet. Competing with
the emission of radiation by the excited product are
processes of vibrational relaxation, quenching, and
energy transfer. Thus an extremely exothermic reac-

tion does not necessarily have a large chemilumines-
cence yield.

Chemiluminescence is quite analogous to fluores-
cence and phosphorescence, which describe the emis-
sion of photons from species that have been excited by
absorption of photons. The difference in chemilumi-
nescence is that the species are chemically excited:
promoted to excited states through chemical reaction.
Since the only source of photons is chemiluminescence,
the background for chemiluminescent systems is, in
principle, very low. In practice, there are extraneous
sources of light, but appropriate zeroing techniques
can take these into account. The energetics of chemical
reactions that involve chemiluminescence are shown
schematically in Figure 1. The figure portrays progres-
sion of the chemical reaction from reactants to
products with the release of energy ðDEÞ that can be
imparted to thebath gas through collisions, distributed
throughout the molecule through internal processes,
or (more rarely) lead to emission of a photon.

Photons emitted from chemiluminescent reactions
are most often detected by photomultiplier tubes.
These devices convert photons into electric current
with considerable amplification (4106 electrons per
incident photon). Other light-sensitive devices such as
phototubes, photoconductive devices, and photo-
diodes can also be used depending on the application,
but the high sensitivity of photomultiplier tubes favors
their use.

Progress of reaction, or reaction coordinate

E
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y

Reactants Products

h�

Collisional
deactivation
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emission

∆E

Ground state

Excited state

Figure 1 A schematic diagram of the energetics of a chemical reaction that could result in chemiluminescence. The reactants come

together and react; this might involve proceeding over an energy barrier; progression into an energy well that possesses various energy

states above the well bottom; and finally formation of the reaction products, which are also characterized by excited energy states. The

energy of the reaction ðDEÞ is distributed in one or more of the products, and can then be transferred to the bath gas through collisions

(collisional deactivation), converted into other energystates of themolecule through internal processes, and/or released throughemission

of a photon.
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The intensity of light detected in a chemilumines-
cent reaction depends on several factors, included in
eqn [1].

ICL ¼ d½X�
dt

FCLFEFD ½1�

The terms in eqn [1] each control the rate of produc-
tion of photons (ICL). The first is the rate of reaction of
the species to bemeasured,X,which is represented as a
derivative, d½X�=dt, describing the number of mole-
cules of X per unit volume reacting per unit time. The
next term is the chemiluminescence yield ðFCLÞ; this is
the fraction of product species that are produced in an
excited state that are capable of emitting photons. FE

is the fraction of excited state product species that emit
photons; the balance ð1� FEÞ is lost through collis-
ional quenching. This may be viewed as a kinetic
competition between the photon emission and these
‘dark’ pathways. An additional factor is the fraction of
photons that are detected ðFDÞ, which depends on the
geometry of the chamber in which the chemistry takes
place, the relative size and location of the detector, and
the efficiency of the detector at the wavelength of the
photons of interest. This factor can be increased (in
principle) through the use of sensors with large active
areas and the coating of reaction chamberswith highly
reflective surfaces. The rate of molecules reacting per
unit timewithin the reaction chamber can be increased
through larger flow rates. Of course, this implies the
use of larger pumps; clearly, a compromise must be
reached given weight and size limitations. A generic
chemiluminescence detector is shown in Figure 2. It

consists of a reaction chamber towhich a light detector
is attached. The detector views the chamber through a
window or optical filter; a filter may allow discrimi-
nation between photons originating from the reaction
of X and those from other sources. Ambient air
containing the species to be measured is mixed with
the reagent gas, enters the reaction chamber, and is
pumped away. The reaction chamber can be main-
tained at an optimum pressure (to reduce quenching)
through the use of a limiting orifice at the air sample
inlet, a pressure-controllable valve, and a vacuum
pump. Standard electronics convert the signal from the
detector to a measurable electric current or series of
electrical pulses that can be counted.

Now that the concepts of chemiluminescence have
been described in general terms, specific applications
to the measurement of atmospheric gases will be
addressed. The discussion that follows has been
divided into chemiluminescence involving reactions
between gas-phase species and those involving the
interaction of gas-phase species with a liquid or solid
surface. In each group, several examples are put
forward to demonstrate the range of possibilities for
which chemiluminescence may be applied.

Gas-Phase Chemiluminescence

When the reactants (including the analyte species as
well as added reagents) and products of a chemilumi-
nescent reaction are in the gas phase, the application to
measurement of atmospheric gas-phase species is
obvious and straightforward. An atmospheric sample

Pump

Pressure
control
valve

Photomultiplier
tube

Detector
electronics

Window or
filter

Reagent
source

Atmospheric
sample

Inlet

Reaction chamber has
reflective coating

Reaction chamber
at reduced 
pressure

Figure2 Aschematic diagramof a generic chemiluminescence instrument. Anatmospheric sample containing the speciesof interest is

sampled either directly from the atmosphere or from the output of a gas chromatograph. The sample is mixed with one or more reagent

gasesand thenentersa reactionvolume.Thegasmixture is pumpedaway.Thephotons from thechemiluminescent reactionare detected

by some type of light detector (usually a photomultiplier tube) that converts the energy of the photons into an electrical signal. The detector

may observe the reaction chamber through awindowor an optical filter to select a specified spectral region.Often the reaction chamber is

equipped with a reflective coating to maximize collection of emitted photons.
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ismixedwith one ormore gas-phase reagent(s) and the
resulting chemiluminescent photons are quantified.
The relationship between the detected signal and the
trace gas concentration, ormixing ratio, is determined
through calibration procedures that involve the addi-
tion of a known quantity of the gas of interest.

NO1O3

An example of a commonly employed gas-phase
chemiluminescent system is the reaction of nitric
oxide (NO) with ozone (O3), through which either
NOorO3maybe quantified. Formeasurement ofNO,
ozone produced by the corona discharge of oxygen is
added as the reagent to an atmospheric sample;
maximum ozone concentrations produced by this
method are typically of order 5%. Formeasurement of
O3, pureNO is added as the reagent.Nitrogen dioxide
(NO2) is produced in an excited state that is not fully
characterized because of the complex spectroscopy of
NO2; the state can emit photons at wavelengths
greater than about 590 nm. FCL for this system is only
a few percent; in spite of this, mixing ratios of NO of a
fewparts per trillionby volume (pptv)with integration
times of only a few seconds have been determinedwith
this system. Other nitrogen compounds can also be
determined through the use of photolytic and catalytic
converters that change these species into NO before
entry into the reaction chamber. Photolysis in the
ultraviolet-A spectral region has been used to convert
NO2 into NO for measurement; unfortunately, this
conversion efficiency is less than 100%, so it must be
routinely checked and accounted for. The catalytic
conversion of a wide range of nitrogen compounds on
a heated gold surface in the presence of carbon
monoxide (CO) or hydrogen (H2) has been used to
determine the total reactive nitrogen concentration,
which is often termed NOy. This catalyst effectively
converts NO2, HNO3, alkyl nitrates, and peroxy acyl
nitrates toNO;other species containing nitrogen, such
as NH3, N2O, HCN, and N2, are not typically
converted with high efficiencies. Other catalysts,
such as FeSO4, molybdenum, carbon and silver, have
been used with varying degrees of success.

O31Olefins

Another chemiluminescent system commonly used for
atmospheric analysis is the reaction of ozone with
olefins. The attack on double bonds by ozone is
extremely complex and has been the subject of
numerous investigations. The reaction appears to
proceed through the poorly understoodCriegee birad-
icals, which are species of the form R1R2COO. A
carbonyl compound is also formed. In the case of
terminal olefins, it appears that excited formaldehyde

(CH2O)may be formed. Emission of photons between
300 and 600 nm has been observed for a number of
short-chain terminal olefins. Emission from vibration-
ally excited hydroxyl radicals (OH) has also been
observed. The ozone–olefin system has been used to
quantify ozone via the reaction with ethene, and
to quantify olefins including isoprene (C5H8). The
chemiluminescent reaction of ozone with other hy-
drocarbons (alkanes and aromatics) has been studied,
and has been shown to possess high sensitivity, but its
use is not widespread.

Metal Carbonyls1O3

Nickel tetracarbonyl (Ni(CO)4) and iron pentacar-
bonyl (Fe(CO)5) yield chemiluminescence in their
reaction with ozone. It is thought that the neutral
metal atom, formed from unknown processes, reacts
to yield the metal oxide in an excited state. For
example, the reaction of nickel is as shown in eqn [I].

NiþO3 ! NiOn þO2 ½I�
It appears that nickel atoms can also be regenerated by
the reaction of NiO with ozone. NiO and FeO emit in
different spectral regions, so analytical techniques can
be developed that are specific to each. The chemilu-
minescence of nickel carbonyl with ozone has been
used to monitor the workspace of nickel-refining
plants.

Hydrides1O3

Hydrides of phosphorus (PH3), arsenic (AsH3), sele-
nium (SeH3), antimony (SbH3), silica (SiH4), tin
(SnH4), and boron (BH3) have been detected through
their chemiluminescence with ozone. It appears that
the key step in each case involves the neutral atom,
formed from unknown processes, reacting with ozone
to yield the oxide in an excited state. The reaction for
arsenic is shown in eqn [II].

AsþO3 ! AsOn þO2 ½II�
The emitting species in each case is not known
with certainty and may actually involve multiple
species. The total chemiluminescence intensity in
each case shows good linearity with the gas-phase
concentration, which makes these phenomena
useful formonitoring of these species in the workplace
and elsewhere. The fact that all of these hydrides
yield chemiluminescence signals makes their quanti-
fication in complex mixtures of several hydrides
difficult.

Fluorine1Reduced Sulfur Compounds

Molecular fluorine reacts with organic sulfur com-
pounds such as methyl mercaptan (CH3S), dimethyl
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sulfide ((CH3)2S), carbon disulfide (CS2), and their
longer-chained homologs to yield chemiluminescence.
The emitting species includeHF,CH2S,HCF, andFCS.
The mechanism is complex and poorly understood,
but appears to involve attack of F2 on the sulfur
compound as a fundamental step. Fluorine atomsmay
subsequently be formed, but are not critical in the
initiation of the chemistry. This system has achieved
particular use as a gas chromatographic detector, but
recently has been superseded by ozone-induced chemi-
luminescence in a flame. Chemiluminescence also
occurs in the reaction of F2 with organic selenium and
tellurium compounds, but these are not expected to be
very abundant in the atmosphere.

Reactions of Atoms

Oxygen, nitrogen, hydrogen, and halogen atoms are
very effective as reactants in chemiluminescent reac-
tions. These have mostly been used for detection of
species in laboratory studies of gas-phase reactions,
but they could be applied, in principle, to quantifica-
tion of atmospheric trace gases. Many of these
reactions also occur in the atmosphere and lead to
observations of atmospheric ‘airglow’.

Finally in this section we describe chemical reac-
tions in flames that are chemiluminescent and that
have been exploited for the analysis of atmospheric
species. The principles are the same as for room-
temperature chemiluminescence, except that meta-
stable reactants and atoms are more readily exploited.
Often the flame-based detector is used as part of
a gas chromatographic system.

Sulfur

Sulfur compounds that are introduced into a reducing
flame lead to blue emission attributed to the combi-
nation of sulfur atoms leading to excited S2. Spectral
analysis reveals a series of emission bands from 250 to
600 nm. This system has good sensitivity and has
found widespread use, but suffers from the disadvan-
tage that the signal is proportional to the square of the
sulfur concentration ([S]2). The addition of ozone to
the flame results in intense chemiluminescence that has
been attributed to reactions [III] and [IV]; the chemi-
luminescence in this case is proportional to the sulfur
concentration.

SOþO3 ! SOn

2 þO2 ½III�
SOn

2 ! SO2 þ hn ½IV�
By adjusting the flame conditions, conversion of a
wide variety of sulfur compounds to SO with reason-
able efficiency is possible. It has been used for total
sulfur measurement and also as a detector in gas
chromatographic systems.

Awide variety of trace gas species from a number of
chemical families have been successfully measured
using the technique of gas-phase chemiluminescence.
The next section describes the use of multiphase
systems to measure gas-phase species.

Liquid-Phase and Solid-Phase
Chemiluminescence

Quantification of atmospheric trace gases has been
made through the gas–surface reaction of a species of
interest with a liquid or solid of the appropriate
composition. The chemiluminescent photons are then
emitted from the interface of the gas and the con-
densed phase. Alternatively, the gas-phase species can
be adsorbed into a solution (with or without chemical
reaction), which can then be mixed with the appro-
priate reagents to lead to chemiluminescence entirely
within the condensed phase. The mixing can be
accomplished in a batch or flow mode, with the latter
approach more common and generally more useful.
The description of the instrumentation for these
systems is as described earlier, with perhaps more
complexity in the sampling system. Several examples
of the application of liquid-phase chemiluminescence
are given next, followed by demonstrations of the use
of solid-phase chemiluminescence.

Luminol

Luminol (5-amino-2,3-dihydrophthalazine-1,4-dione)
has been studied for decades and has proved to be
quite versatile for quantitative analysis of several
atmospheric species. It is exploited by exposing
luminol to various oxidizing systems that lead to
conversion of luminol to an aminodiphthalate ion
with concomitant production of molecular nitrogen
and photons in the blue region.

NH

NH

O

ONH2

+ Oxidant

CO2
−

CO2
−

NH2

+N2 + h� 

½V�

Gas-phase hydrogen peroxide (H2O2) and hydrogen
peroxide in fog and rainwater have been quantified
using luminol chemiluminescence. The reaction re-
quires a basic solution and a transition metal (usually
copper) catalyst, but it suffers from reduced sensitivity
if manganese or iron is present. Nitrogen dioxide
(NO2) in air samples has also been measured using
luminol. Here the solution is also basic but must be
free of metal ions. Interference from ozone can be
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reduced (although not eliminated) by addition of
sulfite salts to the solution. Peroxyacetyl nitrate (PAN)
also produces chemiluminescence. This is been ex-
ploited tomeasureNO2 and PAN-like compounds as a
detector in a capillary gas chromatographic system. A
disadvantage of luminol detection of NO2 is that the
light emission depends on the square of the NO2

concentration, at least up to the point at which the
solution is saturated with NO2 (aqueous). This can be
overcome in part by the addition of a known, stable
amount of NO2 to the ambient air flow.Other organic
reactants leading to chemiluminescence similar to that
of luminol have found some success, including
lucigenin and lophine.

Oxylates

H2O2 oxidizes peroxylate and bis(2,4,5-trichloro-6-
phenyl)oxylate (TCPO) to form an excited di-
oxetanedione. The chemiluminescence is transmitted
to perylene, which then fluoresces. This is referred to
as indirect chemiluminescence. This system is very
efficient and shows no interference from metal ions
or ozone. Nitrite, sulfite and formaldehyde show
slight negative interference. The combinations of
peroxyoxylate and Rhodamine B, of bis[4-nitro-2-
3,6,9-trioxadecyloxycarbanyl)phenyl]oxylateandsulfo-
rhodamine 101, and of 1,10-oxalyldiimidazole (ODI)
and 3-aminofluoranthene have also been used for the
sensitive quantification of hydrogen peroxide. Indeed,
awide range of substituted oxylates have been studied,
which possess varying chemiluminescence efficiencies.
One of the most challenging aspects of atmospheric
H2O2 measurement is the potential problem of arti-
facts produced in the interaction of ozone with water.
The use of wetted glass coils appears to be the best
solution.

Permanganate

Sulfur dioxide can be quantified by the chemilumines-
cence produced in the aqueous phase oxidation by
potassium permanganate (KMnO4). It appears to be
straightforward, but comparisons with other tech-
niques have revealed significant differences. Gas-
phase SO2 can be collected into aqueous solution or
onto tetrachloromercurate-impregnated filters before
exposure to the permanganate.

Chlorine and Ammonia

Molecular chlorine (Cl2) and ammonia react in a basic
medium to produce chemiluminescence from 500 to
800 nm, peaking at 690 nm. The method is not
particularly sensitive (detection limit of 7 ppb NH3),
but can be applied to the detection of ammonia or

chlorine. H2O2 interferes somewhat in the measure-
ment of ammonia, but this depends on the solution pH
and thus the interference can be minimized. Fluores-
cence experiments indicate that the emitting species
may be NH2Cl, but this is not certain. Similar
chemiluminescence that is centered at 850 nm is seen
in the reaction between molecular bromine (Br2) and
ammonia.

Other Liquid-Phase Chemiluminescence Systems

Ozone reacts in a number of systems to produce
chemiluminescence, including aldehydes, particularly
aromatic ones, polyphenols, fluorescein, umbellifer-
one, luminol, acridine, and acridone, although there
has been little if any work to use these for the
quantification of atmospheric ozone. Singlet molecu-
lar oxygen has also been shown to yield chemilumi-
nescence in a number of reacting systems, but the
exploitation of these systems in the application of
quantification of atmospheric species has not yet been
reported.

Solid-Phase Chemiluminescence

A number of systems have been reported that produce
chemiluminescence in which one of the reactants is in
the solid phase. These include the oxidation of
siloxene and white phosphorus. However, the appli-
cation to measurement of atmospheric species is
limited to the reaction of ozone with Rhodamine-B
dye supported on silica gel. This method is sensitive
but suffers from problems of calibration instability,
and perhaps unacceptable interference from other
atmospheric species.

Conclusions

Chemiluminescence-based detection of atmospheric
trace gases has been critical in improving our under-
standing of their distribution and fluxes. Gas-phase
chemiluminescence has been shown to be the most
useful and reliable, but liquid and solid phase systems
have been used with some success. Chemilumines-
cence has proved to be so useful because it is sensitive
and in many cases highly selective, but it is not
universally applicable because of the requirement that
the energy released in a chemical reaction must be
manifest as emission of photons. Interferences and
nonlinear behavior can complicate some chemilumi-
nescence systems. The possibility certainly exists for
development of new detection schemes based on
chemiluminescence to be applied to the detection of
atmospheric gases.
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Introduction

The measurement of biogenic and anthropogenic
organic species in the atmosphere is a key area in air
chemistry research. Nearest to the Earth’s surface,
within the boundary layer of the troposphere, the
determination of reactive hydrocarbon species is
important because of their ability to interact rapidly
with NOx in the presence of sunlight to form
photochemical smog. At the other extreme, in the
stratosphere, remote measurements of very long-lived
halogenated species are required because of their
critical impact on ozone destruction. In addition,
other stable molecules such as methane, present
throughout the atmosphere, have importance as
greenhouse gases and influence global climate and
temperature change.

The wide range of both short-lived and long-lived
species that are of interest in atmospheric science,
coupled to extremely low concentrations and a
requirement often for in situ automated analysis, has
lead to the development of many novel chromato-
graphic techniques and methodologies. While some
atmospheric species, such as organic acids, peroxides,

and aldehydes, are measured using high-performance
liquid chromatography (HPLC), the majority of
organic species are analyzed using capillary gas
chromatography (GC). The diversity of compounds
that are of interest has resulted in almost every kind of
analytical detector finding a role within atmospheric
analysis by gas chromatography.

This article deals only with the analysis of species
found in the gas phase; many organic compounds
present in the atmosphere are bound to particles or are
in aerosol form (polycyclic aromatics compounds,
polychlorinated biphenyls, dioxins, etc). A vast
number of methodologies exist for the analysis of
these species, although, in common with many gas-
phase species, gas chromatographywithmass spectro-
metry (GC-MS) is the core methodology used in their
analysis.

The range of techniques that are in use is so broad
that a complete review of analytical methods is
impractical. Many individual methods, however,
have common components or key procedural steps
and these will be discussed. A general outline of a
typical atmospheric determination can be broken
down into sample acquisition, preparation, separa-
tion, and detection, with the first two stages of
acquisition and preparation often proving the most
challenging. A number of chromatograms obtained
from atmospheric analysis are also presented.
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Sample Acquisition

The initial step of sample acquisition is a far from
trivial task in atmosphericmeasurements and defines a
major grouping of techniques into either in situ or
post-acquisition analysis. The ability to store an
atmospheric sample is a critical factor as to whether
analysis may be performed back in the laboratory or
on site immediately following acquisition. Stable
species such as methane, CO, and chlorofluorocar-
bons (CFCs) may be successfully stored in vessels for
many weeks without affecting sample integrity, and
geographically widespread measurements of these
species have been performed. Atmospheric degrada-
tion products such as peroxyacetyl nitrate (PAN,
CH3C(O)2ONO2), are so unstable, however, that
analysis must be performed immediately. For many
other important reactive species such as alkenes,
monoterpenes, and dimethyl sulfide, the storage of
samples has been shown to lead to a degree of analyte
loss due to reactionwith co-sampledpollutants such as
ozone and oxides of nitrogen. To overcome problems
of reaction during storage, many forms of scrubber
(for example, potassium iodide and glycerol to remove
ozone) have been tested to remove oxidants such as
ozone without affecting sample integrity.

Much atmospheric sampling is performed using
stainless-steel canisters of 1 to 10 liters in volume
(often referred to as whole air samples) filled either by
vacuum release or by pressurizing the sample using
stainless-steel bellows or Teflon diaphragm pumps. To
retain sample integrity there must be minimal inter-
action with the canister walls, and coating methods
such as electropolishing, silica or Teflon coating are
currently in use. The preparation and cleaning of
canisters requires careful attention and high vacuums
are often applied alongwith elevated temperatures for
periods of hours or even days. Similar to the use of
canister samples is collapsible Teflon or Tedlar sample
bags. These may be filled by pump and returned to a
laboratory for analysis using almost identical proce-
dures to canister samples. Although they are generally
of lower unit cost, they often produce a greater degree
of sample artifact and analyte losses.

Many lower-volatility species are unsuitable for
collection using canister methods because of problems
associatedwith analyte condensation onto thewalls of
the container. For this reason, a second widely used
method of sample acquisition is based on solid-phase
adsorbent (acting as essentially a very high-capacity
packed column) as an analyte trap. The adsorbent
used in the trapmay be chosen to introduce an element
of selectivity to the trapping mechanism, although in
practice a trap-all approach is commonly used.
Recycling of a single adsorbent allows for instrument

automation, not possible with canister methods, and
such recycled traps now form the basis of many
national monitoring programs in the urban environ-
ment, aswell as of automated instruments for research
in clean air.

A huge range of adsorbent supports are commer-
cially available, ranging from high surface area
(41000m3 g�1) carbon material (both charcoals and
graphitized) with strong retention characteristics to
lower surface area (o50m3 g�1) polymerics such
as Tenax TA. While being relatively low cost
compared to sample canisters, sample tubes often
require care in their cleaning andpreparation. Samples
may be introduced to the adsorbent tubes either
dynamically over short times (typicallyminutes) or via
diffusional sampling over longer periods (typically
several days). Carbon-based adsorbents are suitable
for a wide range of species ranging from volatile
hydrocarbons andCFCs to organic nitrates. Polymeric
materials are used mainly for the concentration of
lower-volatility species such as aromatics and mono-
terpenes, although compounds as large as 2-ring and
3-ring polycyclic aromatic species may also be
successfully trapped and thermally or solvent de-
sorbed. Trapping of sulfur species is often performed
via chemisorption onto gold wool traps that provide a
stable matrix for the storage of the sample for
reasonable periods of time.

The complete retention of all target analytes on the
adsorbent bed must be carefully evaluated and
calculation of retention volume (often referred to as
breakthrough volume) is essential. For sampling very
volatile species (for example, ethane or ethene), the
retention volume for an adsorbent system is often the
critical factor in determining system sensitivity. Trap-
ping at subambient temperatures is commonly
employed to increase the maximum sample volume,
often using liquid nitrogen or carbon dioxide to cool
the adsorbent trap. Cryogen usage may be a problem
for operation of any instrument in a field location, and
modern instruments often now employ Peltier or
thermoelectric heat pumps to cool adsorbent traps.

Sample Preparation and Injection

Removal of Water

The inevitable presence of water in atmospheric
samples and its removal prior to gas chromatography
separation is a complex area. In certain circumstances
its presence may be both beneficial (for example, with
canister samples where it occupies the active sites on
the vessel walls) or detrimental, notably through
affecting either the detector or reproducibility of the
separation.AluminaPLOT(porous-layeropen-tubular)
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columns are particularly affected by moisture in the
sample, and large changes in stationary phase affinity
occur when water is introduced. Detectors such as
mass spectrometers are also extremely sensitive to
water introduced with the sample, and high back-
ground noise may result. Even the robust flame
ionization detector (FID) can be affected by injection
of water, and the flame may be extinguished when
water elutes from the column.

There are many means of selective water removal,
the simplest of which is the use of condensation traps
or stripping coils. Losses of light molecular species are
insignificant, although condensation of higher-boiling
organic material may occur at very low condensation
temperatures. Inorganic adsorbents are also com-
monly used, notably potassium carbonate and mag-
nesium perchlorate. Adsorbents such as these,
however, have limited capacity and often require
frequent regeneration or replacement. A combination
of initial condensation and second-stage adsorbent
scrubber often provides sufficient capacity to dry a
sample stream of air for many hours or days.
Continuous drying may be achieved using permeation
membranes such as Nafion. These forms of dryers
operate by generating a steep concentration gradient
across a membrane permeable only to highly polar
material such as water. A countercurrent of dry gas is
passed around the outside of themembrane as a sheath
gas and carries moisture away to waste. However, this
type of drier is unsuitable for samples where the
quantification of polar materials is required.

Direct loop injection High-concentration atmo-
spheric species require the least amount of sample
preparation, often only the removal of excess water
from the sample. The analysis of methane, carbon
monoxide, H2, N2O, and some abundant CFCs is
performed simply by filling a known volume injection
loop (between 0.1 and 5ml in volume) at fixed
temperature and pressure, followed by direct injection
to the analytical column. Backflushing is often then
performed to remove remaining components from the
analytical column. A further example of direct loop
injection is in the analysis of PAN, which is isolated
using a cooled isothermal precolumn followed by a
short analytical capillary column with electron cap-
ture detection. An ancillary measurement of carbon
tetrachloride is often gained from using this approach.

Sample preconcentration methods Whether an
atmospheric sample is collected using adsorbent or
canister techniques, several stages of sample prepara-
tion are required prior to injection onto the analytical
column. For many species the size of sample required
for sufficient sensitivity precludes any form of direct

injection onto the column, making preconcentration a
vital step.

For volatile species collected in canister or whole air
samples, analytes are removed from the canister either
via internal canister pressure (for pumped-in samples)
or by vacuum pump (for atmospheric pressure
samples) over a preconcentration trap. A simple
method of preconcentration is to place a sampling
loop either directly into, or in the headspace of, liquid
nitrogen. Liquid argon has also been used because this
may reduce the amount of oxygen retained in the
refocusing stage. The preconcentration zone may
consist of a packed tube containing an absorbent
such as Tenax TA or glass beads, or may simply be
empty stainless steel tubing. Since the preconcentra-
tion stage is at such low temperatures, the majority of
water vapor in the sample must be removed prior to
refocusing in order to stop blockage of lines with ice.
Once a sufficient volume has been collected on the
refocusing trap, the trap is generally flash heated either
electrically or using hot water. This results in a very
sharp band of compounds being introduced to the
head of the analytical column.

With adsorbent tube analysis, the collected analytes
are generally thermally desorbed either directly onto
the analytical column (in the case of programmed
temperature vaporization injection) or onto a refocus-
ing cold trap. The desorption temperature is generally
defined by the maximum temperature that the
adsorbing material can support. For polymeric adsor-
bents this may be relatively low (o2501C), while
carbon-based materials may support desorption at
temperatures of 5001C or higher.

If a programmed temperature vaporization (PTV)
injector is used, the desorption may be sufficiently
rapid (4151C s�1) that a focusing of analytes on the
stationary phase at the start of the column results in
well-resolved narrow peaks. If the desorption from an
adsorbent tube is relatively slow, then a refocusing step
is used, with a similar reconcentration mechanism to
that used with canister samples. Once again, water
must be removed from the sample since it may affect
the column or the detection system.

Automated systems in which a single recycled
adsorbent trap is used may operate by taking air either
from a local manifold or from canister-collected
samples. The addition of a multiposition valve
upstream of the instrument can allow for fully
automated canister analysis on systems designed for in
situ analysis. Fully automated instruments of this kind
using either cryogen-cooled or Peltier-cooled adsorbent
traps are now becoming commercially available.

Although the majority of species are thermally
desorbed from adsorbent traps onto the analytical
column, a few types of compounds require solvent
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extraction prior to syringe injection. The analysis of
some organic nitrates has been described in this way,
along with higher molecular weight polycyclic aro-
matic compounds that may suffer from incomplete or
slow release.

Separation of Atmospheric Samples

While a number of specific applications utilize packed
columns (notably in the analysis of methane, CO, and
N2O), current methods for the separation of atmo-
spheric components are performed almost exclusively
using capillary column gas chromatography.

The applications inwhich packed columns are in use
generally employ molecular sieve packings (typically
5 Å pores) for the separation of permanent gas species.
With the introduction of Al2O3 PLOT columns, high-
resolution analysis of very high-volatility species is
possible and many applications that previously used
packed column gas chromatography are now being
performed using capillary columns.

In a number of cases, only one species is to be
isolated by the analytical system; in these cases, simple
isothermal separations may be used, often in conjunc-
tion with a precolumn backflush step. The analysis of
PAN is an example of this, where a short backflushing
precolumn is used prior to a 10–30m long analytical
column. A simple two-dimensional separation has
also been proposed for PAN using heart-cutting
(where a number of components eluting together
from a first separation are transferred directly to a
second column for further separation).

The vast and wide range of analyte volatilities that
are encountered in the atmosphere limits each
analytical system to only a limited range of species
that may be completely resolved on a single column.
For the most volatile non-methane hydrocarbons,
PLOT columns are used widely for species in the
carbon range C1 to C7. While they are in principle
suitable for high-volatility halogenated compounds,
there have been reported hydrogenation and dehy-
drogenation effects for such species on PLOT
columns, and so use has been limited. The retention
characteristics of PLOT-type columns are unfavorable
for oxygenated compounds, with which extremely
strong retention, often irreversible, can occur. Because
of this strong retention of polar species,water becomes
an important interference, and its presence can
severely degrade the quality of PLOT separations,
manifested in highly variable retention times. Separa-
tions on columns of this kind are via adsorption rather
than phase partition, the kinetics of which are
particularly rapid. As a result, theoretical plate
numbers in excess of 100 000 are common even for
wide-bore 0.53mm inside diameter (i.d.) columns.

The number of theoretical plates generated by a
column is important since this controls how many
individual compounds can be fully separated on it.

The very strong retention of higher boiling point
species on PLOT-type columns leads to extensive peak
broadening and very lengthy analysis times. Because
of this, the analysis of highermolecularweight species,
including monoaromatic volatile organic com-
pounds, (VOCs),CFCs,HCFCs (hydrogen-containing
chlorofluorocarbon replacements), and terpenoid
compounds is generally performed using nonpolar
(methylpolysiloxane) or slightly polar (5% phenyl-
methylpolysiloxane) capillary columns. Typical col-
umn specifications are 0.32mm i.d., 50m long, with
stationary film thickness (often abbreviated to df) of
between 1and5mm.Wide-bore, 0.53mm i.d. columns
are also usedwhere thermal desorption is direct from a
preconcentration trap to the analytical column. Rates
of generation of theoretical plates (and hence peak
capacity) on columns of this type are lower than for
PLOT types, and as a result to obtain full resolution of
some species (e.g.,HCFCmixtures in the atmosphere),
columns as long as 100m have been reported.

To improve the retention and separation of some
volatileVOCs (those that are not sufficiently separated
on normal siloxane stationary phases, but are too
strongly retained on PLOT columns) without use of
sub-ambient cooling, stationary phases of up to 15 mm
thickness have been reported. Band-broadening
effects through stationary phase diffusion become
significant with films of this thickness and this
approach has not been widely adopted. The highest
molecular weight gas phase species such as naphtha-
lene, fluorene, and anthracene may be separated
efficiently on nonpolar columns with film thicknesses
of typically 0.25–0.5 mm.

Organic nitrate species in the atmosphere may also
be determined using capillary GC either by charcoal
adsorbent traps, extracted with aromatic organic
solvent, or via direct cryofocusing from a canister
sample. Lengthy analysis times can result owing to the
necessity to use combinations of columns to achieve
full isolation of target analytes based commonly on
moderate-polarity 50% phenyl 50% methyl polysi-
loxane phases.

In recent years a number of speciality phases have
been developed that allow the separation of oxyge-
natedmaterial by capillary gas chromatography. Since
such species are generally at low concentration in the
atmosphere, they often suffer from co-elution with
more abundant primary emitted VOCs. While chemi-
cal derivatization followed by HPLC fluorescence is
still the most common method of carbonyl analysis,
the use ofmixed-phase porous layer capillary columns
is an emerging technique (notably the Varian/
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Chrompack LOWOX column). Sample reconcentra-
tion can be via standard carbon adsorbent methods,
and since no derivatization stages are required,
minimum detectable amounts are greatly improved
and sampling volumes are drastically reduced.

An important development in atmospheric analysis
by GC in the past 5 years has been the emergence of
comprehensive or fully orthogonal GC. It is widely
accepted that the complexity of organic compounds
found in the atmosphere is vastF driven in large part
by the huge complexity of petrochemical makeup that
is a primary source to the atmosphere. Even using the
highest-resolution capillary columns, a single dimen-
sion (e.g., single column) separation may generate no
more than a few hundred thousand theoretical plates
and a peak capacity of around 100. Given sample
complexity running into thousand of compounds, a
universal method of analysis is not currently available.
As molecular weight increases, so too does isomeric
complexity, and when a universal detector is used to
monitor such a separation, co-elutions occur almost
continuously. The serial coupling of two capillary
columns of differing selectivities, via a mid-point
modulator or injection device where all material
undergoes two separations (distinct from GC heart-
cut), produces an analytical system with a peak
capacity that approaches the product of the peak
capacities of the individual dimensions. The technique
(often abbreviated to GC�GC) was pioneered by
J. Phillips in the early 1990s but was not applied to
atmospheric samples until 1999. The separations
generated using such a technique are viewed as
three-dimensional contour surfaces rather than a
two-dimensional data stream. An example of a
GC�GC air separation is shown as Figure 5. Since
the second column separations are very rapid (peak
widths typically 100ms), at present the universal
flame ionization detector is the only commonly
available detector with sufficiently fast time-base.
Whilst coupling of GC�GC to time-of-flight mass
spectrometry has been reported, this is very much a
research rather than a fieldwork tool at present.
AlthoughGC�GChasmany unresolved issues related
to quantification of three-dimensional volumes rather
than standard two-dimensional areas, and more
general problems associated with handling complex
and large data sets, it is likely that GC�GC atmo-
spheric separations will be more widespread in the
coming years.

Detection

As highlighted in the previous section, even the
highest-resolution capillary column often has insuffi-

cient peak capacity to resolve all components in a
typical atmospheric sample. Since the introduction of
analyte selectivity in the trapping and preparation
stages is not always possible, selectivity in detection is
a very useful tool for simplifying atmospheric samples.

The flame ionization detector (FID) is in general
terms by far the most commonly used detector in gas
chromatography, since it offers high sensitivity,
extremely wide linearity and very good long-term
reliability and response. Using well-cleaned fuel
gases coupled to low-noise electrometer circuitry, it
is possible to determine amounts down to as low
1pg s�1 of eluting peak. Using a typical sample volume
of 1 liter, detection limits for individual species may
therefore be in the low parts per trillion (ppt; 10�12)
range. Calibration can be performedwith relative ease
(and in some cases calculated from standard response
characteristics), but the complexity of samples can
make peak identification difficult when co-elutions
occur. To overcome this lack of selectivity, analytical
methods for alkene and aromatic analysis using a
selective response from a photoionization detector
(PID) and the reduction gas detector (RGD) have been
proposed, although they are not as widespread as FID
techniques. For detectors such as the PID, it is the need
to regularly calibrate for decreasing bulb/ionization
intensity that accounts for this limited usage.

Mass spectrometry offers obvious solutions to
problems of compound identification, and benchtop
GC-MS technology is now at a very advanced stage in
terms of reliability, self-calibration, tuning, and
automation. Sensitivity has improved less dramati-
cally, however, and most instruments still use either
quadrupole or ion trap mass analyzers with photo-
multiplier and electron-multiplier detection. Operat-
ing currently available benchtop mass spectrometers
in full scanmodeoften yields insufficient sensitivity for
trace level atmosphericmeasurements. In addition, the
spectral information obtained from GC-MS of many
atmospheric species (in particular hydrocarbon-based
compounds) often leads to highly similar fragmenta-
tion patterns and assists little in the identification of
isomeric species. Similarly, identification of mono-
terpene species can only be confirmed through a
combination of both spectral information and reten-
tion-time data.

Where GC-MS is particularly strong, however, is in
the measurement of halogenated species in the atmo-
sphere. Whereas full-scan operation of most instru-
ments is insufficient to measure such compounds in
clean air, monitoring only selected ions can drastically
improve detection limits. While hydrocarbon frag-
mentations are often similar with not very abundant
parent ion, many halogenated compounds give highly
characteristic MS fragmentation with abundant large
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m=z fragments. The combination of favorable frag-
mentation with selected ion measurements has
resulted in GC-MS instruments for atmospheric
analysis with extremely low detection limits
approaching 0.01 ppt by volume. Long-termmeasure-
ments of species such as CFCs and their replacements
has been performed by GC-MS instruments at a
number of locations in the worldwide MS-GAGE
(Global Atmospheric Gases Experiment) network. In
single-ion mode, femtogram sensitivities can be
achieved, and this approach has been used also for
field measurements of naturally produced trace level
iodocarbon and bromocarbon compounds.

While GC-MS is slowly becoming the dominant
technique for halogen measurements in the atmo-
sphere, there is still widespread application of the
electron capture detector (ECD) for these types of
compounds (a detector that was actually invented for
this very purpose). The ECD offers high sensitivity to
electrophilic compounds, with almost no response to
hydrocarbon species. GC-ECD measurements require
careful calibration owing to the great variation in
response to individual halogenated species, although
their high stability allows gas standards to be used over
many years. Some halogen-containing species of
atmospheric interest (e.g., CH3Cl, CHF2Cl, CH2Cl2)
have a relatively poor ECD response and the use of the
oxygen-doped ECD to enhance their response has
been successful and is demonstrated in Figure 3. The
determination of some nitrogen-containing species
can also be performed using ECD, notably in the areas
of organic nitrate analysis and PAN-type compounds.
Organic nitrate analysis using ECD is often compli-
cated by the co-elution of halogenated compounds, so
a nitrogen-specific detector such as the chemilumines-
cence detector is often used in parallel.

Detection of CO, when separated using GC, is
generally performed using hot HgO reduction in
which one CO molecule releases one Hg molecule
from the catalytic bed, where the Hg molecule is then
detected using by UVabsorption.

The analysis of sulfur compounds in the atmo-
sphere, in particular dimethyl sulfide (DMS), has often
been performed using a combination of GC with
sulfur-selective detection to overcome problems of
insufficient chromatographic resolution. The flame
photometric detector (FPD) has been used extensively
in the past, although quenching of signal by co-eluting
hydrocarbons often results in reduced sensitivity. The
Hall detector, or electrolytic conductivity detector
(ELCD), has also been used for atmospheric determi-
nations, though it requires regular maintenance,
making it unattractive for an automated instrument.
Emerging methods are now taking advantage of
significant advances in benchtop atomic emission

detectors (AED). The multielemental nature of the
AED offers significant advantages in atmospheric
measurements both in terms of sensitivity (sulfur
2 pg s�1), and where concurrent carbon emission line
measurements may be used to provide information on
empirical formulas of unknowns. The sulfur chemi-
luminescence detector and the sulfur-specific electron
capture detector (SECD) are more recent techniques
that offer extremely high sensitivity and selectivity and
may yet find important roles in atmospheric sulfur
analysis.

As outlined earlier, oxygenated species in the atmo-
sphere are one of the least-studied groups of com-
pounds using gas chromatography. It is an area of
fundamental significance, since speciesmay be present
in the atmosphere both from direct emissions or as
degradation products following primary VOC emis-
sions. Measurements of species such as acetone have
been made using aircraft-portable GC systems in
upper-troposphere locations, and there is considerable
interest in extending the range of oxygen containing
VOCs that can be measured since they act as a source
of free radical species on photolysis. Separations on
polar wall-coated columns (e.g., polyethylene glycol-
or cyanopropyl-doped phases) or via mixed-phase
PLOT columns do allow formany aldehydes, ketones,
and alcohols to be isolated in atmospheric samples.
Sensitive and selective detection of oxygenates is still
difficult, however, owing to low response in both ECD
and FID detectors and low molecular weight frag-
mentation in mass spectrometry. Elemental specific
detection such as AED offers some potential in
oxygenate analysis, although sensitivity is poor at
around 100 pg s�1. Detectors such as the helium
ionization detector (HID), which produces a non-
selective high sensitivity response to these types of
compounds, may in future allow on-line measure-
ments of oxygenates with GC assuming that sufficient
chromatographic resolution and trapping selectivity
can be obtained.

Future Work

Gas chromatography has an important role to play in
monitoring mankind’s emissions into the atmosphere
and exploring the natural balance of biogenically
released materials. New developments in injection
technology and adsorbent materials have allowed a
greater number of species to be determined automa-
tically in field locations and this trend is likely to
continue. Development in column technology to
reduce the effect of moisture on chromatographic
separation and to broaden the range of volatilities that
may be separated on a single column will also bring
significant benefits. The application of comprehensive
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chromatography is likely to become widespread in
future years as problems associatedwith data handling
are overcome. Improvements in detector sensitivities
and reliability (notably benchtop MS) will determine
which of the many available detectors become
standard in the next generation of atmospheric
instruments.

Examples of Atmospheric Analysis by
Gas Chromatography

Five examples of gas phase atmospheric measure-
ments are demonstrated in Figures 1–5. Figures 1, 2,
and 5 result from samples collected in polluted urban
air; Figures 3 and 4 are from samples collected in clean

marine air from the North Atlantic at the Mace Head
Observatory, Eire.

Figure 1 shows low molecular weight hydrocar-
bons, including methane, determined using an on-line
activated charcoal adsorbent trap in a programmed
temperature vaporization injector. The column was
50m, 0.53mm i.d.Al2O3/NaSO4PLOT (Chrompack,
Netherlands), 10 mm df. Desorption temperature was
at 161C s�1 from �201C to 4001C, and column
temperature was programmed from 45 to 2001C.

Figure 2 shows aromatic hydrocarbon species
determined using an on-line Tenax TA adsorbent
trap in a programmed temperature vaporization
injector. The column was 60m, 0.53mm i.d., 100%
methylpolysiloxane, 3mm df (Restek RTX-1). De-
sorption temperature was at 161C s�1 from 01C to
2201C, and column temperature was programmed
from 35 to 2401C.
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Figure 1 C1 to C6 hydrocarbons in urban air. (A) The separation

of C1–C6 components of Leeds city-centre air, and (B) a blank

following desorption. Peaks: 1, methane; 2, ethane; 3, ethene; 4,

propane; 5, propene; 6, 2-methylpropane; 7, ethyne; 8, n-butane;

9, trans-2-butene; 10,1-butene; 11, isobutene; 12, cis-2-butene;

13,2-methylbutane; 14, n-pentane; 15, 1,3-butadiene; 16, pen-

tanes; 17, 2-methylpentane; 18, 3-methylpentane; 19, n-hexane;

20, methylhexanes and hexenes; 21, heptane; 22, methylcyclo-

pentane; 23, benzene; 24, toluene. (From Lewis AC and Bartle KD

(1996) A simplified method for the determination of atmospheric

hydrocarbons. LC-GC International 9: 297–304.)
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Figure 2 Aromatic hydrocarbons in urban air. Peaks: 1,

unresolved volatile material; 2, hexane; 3, methylcyclopentane;

4, 2,4-dimethylpentane; 5, benzene;6, 2-methylhexane;7, 3-methy-

lhexane; 8, 2,2,4-trimethylpentane; 9, heptane; 10,methylcyclohex-

ane; 11, 2,4- and 2,5-dimethylhexane; 12, 2,2,3-trimethylpentane;

13, toluene; 14, 2- and 4-methylheptane; 15, 3-methylheptane;

16, octane; 17, ethylbenzene; 18,m- andp-xylene; 19, styrene; 20,

o-xylene; 21, nonane; 22, isopropylbenzene; 23, propylbenzene;

24, m-ethyltoluene; 25, p-ethyltoluene; 26, 1,3,5-trimethylben-

zene; 27, o-ethyltoluene; 28, 1,2,4-trimethylbenzene; 29, decane;

30, 1,2,3-trimethylbenzene; 31, indane; 32, 1,4-dimethyl-2-ethyl-

benzene; 33, dimethylethylbenzenes and undecane; 34, 1,2,3,5-

tetramethylbenzene; 35, naphthalene; 36, dodecane. (From Lewis

AC, McQuaid JB, Seakins PW, et al. (1996) Atmospheric

monitoring of volatile organic compounds using programmed

temperature vaporisation injection. Journal of High-Resolution

Chromatography 19: 686–690.)
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Figure 3 shows CFCs and halon species in clean
marine air determined using an on-line Carbosieve
microadsorbent trap and direct injection to capillary
GC. Detection was by dual ECD/oxygen-doped ECD.
Columnwas60m,0.33mmi.d. 1mmdf DB-1 (J&W).

Figure 4 shows GC-SIM/MS of natural halocarbons
(CH3I, CH2CII, CH2BrI, and CH2I2) in marine air
using a PLOT column trap cooledwith liquid nitrogen
and flash heating to capillary GC. Column was 60m,
0.3mm i.d., 1.8 mm df DB-VRX (J & W). Detection
was by single-ion monitoring HP Mass Selective
Detector.

Figure 5 shows a small section of a comprehensive
GC separation of an urban air sample, compared to a
single-column method. The primary column was a
non-polar BP-1, 60m, 0.33mm i.d., 3mm df (SGE);
the secondary column was a 1m, 0.1mm i.d., 0.1 mm
df, 50% methyl 50% phenyl polysiloxane BPX50
(SGE International, Australia). Band 1, aliphatics;
band 2, carbonyls; band 3, monoaromatics.

Figure 3 CFCs and halon species in clean air by GC-ECD.

(Courtesy of M. Bassford and P.G. Simmonds, University of

Bristol.)

Species/ion Quantitative Qualifying

CH3I, 140.9 126.9
CH2ClI 175.9 126.9
CH2Brl 221.8 126.9
CH2l2 141.9 267.8

Figure 4 GC-SIM/MS of natural halocarbons in marine air.

(Courtesy of L.J. Carpenter and W.T. Sturges, School of Environ-

mental Sciences, University of East Anglia.)

Figure 5 Comparison of comprehensive GC (GC�GC) and

single-column separation of a fraction of urban air. (From Lewis

et al. (2000).)
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Glossary

AED Atomic Emission Detection, a GC detector
which uses the unique wavelengths of light emitted
by specific elements on excitation in a microwave
induced plasma.

Backflushing Used to reduce the total time for a
separation or prevent involatile material from
entering an analytical column. Once the compound
of interest has eluted from a column, the direction of
carrier gas flow may be reversed sweeping all
remaining components from the column in a single
band.

Breakthrough volume The maximum volume of air
that can be quantitatively collected onto an adsor-
bent sampling trap.

Capillary columns The major type of gas chromato-
graphy column. Originally made from glass, but
now almost exclusively from lengths of drawn fused
silica coated with polyimide for strength. Stainless
steel alternatives are also available. Capillary
columns are typically between 10 and 100 m in
lengthwith an internal diameter (i.d.) of between 50
and 530 mm.

df Common abbreviation (from depth of film) for the
thickness of stationary phase coated onto the inside
wall of a capillary column. df values vary between
0.1 and 5 mm, where generally, the greater the
thickness of stationary phase, the stronger the
retention characteristics of the column.

ECD Electron capture detector. A highly sensitive
detector used with GC for the measurement of
electrophilic compounds such as those containing
halogens.

FID Flame ionization detector. Robust and highly
sensitive detector with a wide linearity range, that
can be used for detecting any compounds which
burn in a H2/air flame. Used extensively for the
detection of hydrocarbon type compounds.

GC–MS Gas chromatography coupled to mass spec-
trometry. Refers generally to capillary rather than
packed column GC. Awide range of mass spectro-
meter types are compatible with GC.

GC3GC Comprehensive or orthogonal gas chroma-
tography. A high resolution separation method that
subjects the complete sample to two independent
separations on columns with different selectivities.

Heartcutting A method whereby a fraction of closely
eluting components from a column are passed to a
second column for a further separation. Differs
from GC�GC in that only a small fraction of the
complete sample undergoes two separations.

HID Helium ionization detection.
HPLC High performance (or high pressure)
liquid chromatography. Uses a solvent fluid as the

mobile phase through a column with spherical
particles.

m=z Mass to charge ratio. Term used in mass
spectrometry to define the combined charge and
mass properties of an ion. For organic compounds
found in the atmosphere ionization typically results
in only a single unit charge, so m=z is equivalent to
the molecular weight of the ion.

Packed columns Tubular columns of typically 1–3 m
in length and 0.3–1 cm internal diameter, packed
with a solid stationary phase such as spherical silica
particles or molecular sieve.

Parent ion Term used in mass spectrometry referring
often to the ion produced when only an electron is
removed from the original analyte.Measurement of
the m=z ratio of this ion then allows the molecular
weight to be determined and the component
identified.

Peak capacity The number of individual compounds
that can be separated by a chromatographic system.
This varies between as lowas 10 for packed columns
up to several hundred for very long narrow capillary
columns, and is proportional to the square root of
the number of theoretical plates.

PID Photoionization detector.
PLOT columns Porous layer open tubular column.

GC column with a solid porous stationary phase
attached to the internal walls of the capillary.Many
different types of material used as stationary phase;
a typical example is a layer of bonded Al2O3

particles 10 mm thick on the internal wall of a
50 m long 530 mm i.d. column.

PTV Programme temperature vaporization injection.
Used to give rapid but controlled thermal desorp-
tionof analytes fromanadsorbent trap into a stream
of carrier gas which transfers analytes to the
separating column.

Retention time The time period from injection at the
start of the column to detection at the end.
Retention time is primarily controlled by the
interactions between the analyte and the stationary
phase.

Siloxanes (also polysiloxanes/methylpolysiloxanes)
Common types of viscous liquid used as stationary
phases in capillary GC. A liquid layer of as little as
0.1 mm thickness is deposited onto the walls of the
capillary as a stationary phase. Analytes passing
through the column are subsequently separated
based on their equilibrium partition between this
liquid phase and the carrier gas.

Theoretical plates The theoretical plate number is a
measure of the separating capability of a chromato-
graphy column. The higher the theoretical plate
number the greater the number of partitions (or
separations) that will occur over a given length of

1468 OBSERVATIONS FOR CHEMISTRY (IN SITU ) / Gas Chromatography



column, which in turn defines the peak capacity of
the column.

Walled coated columns General description in chro-
matography for columnswhere the stationary phase
is located in a thin layer (generally only 1/100th of
the i.d.) on the wall of a capillary tube.

See also

Chemistry of the Atmosphere: Principles of Chemical
Change. Global Change: Human Impact of Climate
Change; Surface Temperature Trends; Upper Atmo-
spheric Change.Methane.Observations for Chemistry
(In Situ): Chemiluminescent Techniques. Ozone: Ozone
Depletion. Stratospheric Chemistry and Composition:
Overview.

Further Reading

Aragon P, Atienza J and Climent MD (2000) Analysis of
organic compounds in air: A review. Critical Reviews in
Analytical Chemistry 30: 121–151.

Dewulf J and Van Langenhove H (1999) Anthropogenic
volatile organic compounds in ambient air and natural
waters: A review on recent developments of analytical
methodology, performance and interpretation of field
measurements. Journal of Chromatography A 843:
163–177.

Grimsrud EP (1992) The electron capture detector. In:
Hill HH and McMinn DG (eds) Detectors for
Capillary Chromatography, pp. 83–106. New York:
Wiley.

Helmig D (1999) Air analysis by gas chromatography.
Journal of Chromatography 843: 129–146.

Kruschel BD, Bell RW, Chapman RE, SpencerMJ and Smith
KV (1994) Analysis of ambient polar and non-polar
volatile organic compounds (VOC’s) by thermal deso-
rption, high resolution gas chromatography-mass spec-
trometry (TD/HRGC/MS). Journal of High-Resolution
Chromatography 17: 187–190.

Lewis AC, Carslaw N, Marriott PJ, et al. (2000) A larger
pool of ozone-forming carbon compounds in urban
atmospheres. Nature 405: 778–781.

Marce RM (2000) Multidimensional chromatography in
environmental analysis. In: Mondello L, Lewis AC and
Bartle KD (eds) Multidimensional Chromatography.
New York: Wiley.

O’Brien JM, Shepson PB, Muthuranu K, et al. (1995)
Measurement of alkyl and multifunctional organic
nitrates at a rural site in Ontario. Journal of Geophysical
Research 100: 22795–22804.

Richardson SD (2001) Mass spectrometry in environmental
sciences. Chemical Reviews 101: 211–254.

Swan HB and Ivey JP (1994) Analysis of atmospheric
sulphur gases by capillary gas chromatography with
atomic emission detection. Journal of High-Resolution
Chromatography 17: 814–820.

Ozone Sondes

H G J Smit, Research Centre Jülich, Jülich, Germany
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Introduction

Ozone, although a minor constituent, plays a key role
in the physics and photochemistry of the atmosphere.
As an important absorber of both infrared and
ultraviolet (UV) radiation, ozone is of crucial impor-
tance for Earth’s climate but also as anUV filter for the
biosphere. Several methods are available for observa-
tion of the vertical distribution of atmospheric ozone.
All remotemethods, ground-basedor space-borne, use
optical techniques, while in situmethods, (chemical or
optical) are made from aircraft, balloon, or rocket
platforms.Awidely usedmethod formeasuring upper-
air ozone in situ up to altitudes of 30–35 km is through
small, lightweight, and compact balloon-borne
sondes. The reaction of ozone with potassium iodide
in aqueous solution is used to measure the ozone
concentration continuously in an electrochemical cell.

The sensing device is interfaced to a standard
meteorological radiosonde for data transmission to
the ground station and can be flown on a small rubber
weather balloon (see Figure 1).

The electrochemical sondes were developed in the
1960s, primarily to measure ozone in the study of the
large-scale dynamics in the stratosphere. Since about
1970, with increased awareness of the photochemical
depletion of stratospheric ozone by chlorofluorocar-
bons and the photochemical increase of ozone in the
troposphere, regular ozone soundings have beenmade
in a global network to observe long-term changes of
ozone. Ozone sounding records provide the longest
time-series of the vertical ozone distribution between
the surface and 30–35 km altitude. Up to an altitude of
20 km, ozone sondes constitute the single data source
with long-term coverage for the derivation of ozone
trends with sufficient vertical resolution, particularly
in the altitude region around the tropopause. In
addition, ozone sondes are also deployed to study
photochemical and dynamical processes in the atmo-
sphere or to validate satellite observations.
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Three different types of ozone sondes F Brewer–
Mast (BM), electrochemical concentration cell (ECC),
and the carbon iodine (KC68/79) F are nowadays in
use. Each sonde type has its own specific design, and
even small differences in instrumental parameters and
their uncertainties can have have significant effects on
the performance of the different sonde types. To assess
the performance of the sondes and to quantify any
systematic differences between thevarious sonde types,
several intercomparison studies have been carried out
since 1970. Most of these studies were based on
dedicated short-term intercomparison campaigns in
the field and focused on the performance of the sondes
in the stratosphere. In addition, comparisons of time
series of ozone sonde data with other simultaneously
operating ozone profiling devices such as lidar, micro-
wave, or satellites are used to the data quality of long-
term ozone sonde records to derive ozone trends.

Instrumental Description

Principle of Operation

The principle of ozone measurement by the electro-
chemical sonde is based on the titration of ozone in a
potassium iodide (KI) sensing solution according to
the redox reaction [I]. (An exception is the carbon–

iodine ozone sensor, which uses potassium bromide
(KBr) instead of potassium iodide (KI). However, the
principle of operation is via a reaction mechanism
similar to the redox reaction [I].)

2KIþO3 þH2O ! I2 þO2 þ 2KOH ½I�
The titration involves a conductometric method
employing electrochemical reaction cells to determine
the amount of generated ‘free’ iodine (I2) per unit time
through conversion into an electric current at a
depolarizing electrode. Continuous operation is
achieved by a small electrically driven gas sampling
pump that forces ambient air through the sensing
solution of the electrochemical cell. Transported by
the stirring action of the air bubbles, the iodine makes
contact with a platinum cathode and is reduced back
to iodide ions by the uptake of two electrons per
molecule of iodine as in reaction [II].

I2 þ 2e� j Pt ! 2I� ðcathode reactionÞ ½II�
An electric current IM ðmAÞ generated in the external
circuit of the electrochemical cell is directly related,
after correction for a background current IB ðmAÞ, to
the uptake rate of ozone in the sensing solution.
Knowing the gas volume flow rate FP ðcm3 s�1Þ of the
air sampling pump, its temperature TP ðKÞ and the
conversion efficiency of the ozone sensor ZC, the
measured partial pressure of ozone PO3

ðmPaÞ is
determined from eqn [1].

PO3
¼ 0:04307ZC

TP

FP
IM � IBð Þ ½1�

In practice the conversion efficiency ZC is assumed to
be unity. In principle, this type of electrochemical
ozone sensor is an absolute measuring device.
Although the principle of operation is similar for all
three sonde types, the instrumental layouts have
significant differences.

Brewer–Mast (BM) Ozone Sonde

The oldest ozone sonde type still in routine operation
is the Brewer–Mast (BM) sonde, which evolved from
the Oxford–Kew ozone sonde developed by Brewer
andMilford in 1960. The BMozone sensor consists of
a single electrochemical cell with a silver anode and
platinum cathode immersed in an alkaline potassium
iodide solution. A polarizing potential of 0.41V is
applied between the electrodes such that no current
will flow unless free iodine is present. In operation,
ozone in the sampled ambient air is forced through the
sensing solution in the electrochemical cell (bubbler)
to produce free iodine according to the redox reaction
[I]. At the surface of the Pt cathode, I2will be converted
to I� through the uptake of two electrons (reaction

Figure 1 Ozone sounding just after launch at Meteorological

Observatory Hohenpeissenberg, Germany. (Courtesy of the Ger-

man Weather Service.)
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[II]), while at the Ag anode surface two electrons are
released through the ionization of two silver atoms to
form the insoluble silver iodide (reaction III).

2Ag ! 2Agþ þ 2e� ðanode reactionÞ ½III�
In principle, each ozone molecule entering the sensor
causes a current of two electrons to flow through the
external circuit.

The most recent version (type 730-10) of the
original Brewer–Mast sonde is shown in Figure 2.
The reaction chamber (bubbler) is made of clear
acrylic glass and contains a cylindrical platinum mesh
cathode (B6 cm2) and a thin silver wire as anode. The
bubbler is filled with 2 cm3 of neutrally buffered
aqueous solution of potassium iodide (0.1%). The
electrically driven gas sampling pump is mounted at
the right side of the bubbler and forces about
220 cm3min�1 of ambient air through the bubbler.
The sonde is protected by a Styrofoam flight box.
Older ozone sounding stations mostly used the BM-
sonde type.

A hybrid of a Brewer–Milford type ozone sensor
made of acrylic and a nonreactive Teflon pump is
manufactured and flownby the IndianMeteorological
Department.

Carbon–Iodine Ozone Sonde (KC79)

The KC79 ozone sonde type is a modified version
of the KC68 sonde developed by Kobayashi and
Toyama in 1966. Both sonde types are based on the
carbon–iodine ozone sensor type developed in the
mid-1960s. The ozone sensor is a single electrochemi-

cal cell containing a platinum gauze as cathode and an
activated carbon anode immersed in an aqueous
neutral potassium bromide solution. Ozone in ambi-
ent air is forced through the sensing solution,
generating ‘free’ bromine molecules (Br2), similarly
to the redox reaction [I]. At the Pt cathode the bromine
is reconverted into bromide (Br� ions) by the uptake of
two electrons, while at the activated carbon anode
with the corresponding release of two electrons
reaction [IV] takes place.

Cþ 2OH� ! COþH2Oþ 2e� ½IV�

Accordingly, one ozone molecule produces an electric
current of two electrons in the external circuit.

A scheme of the sonde is shown in Figure 3. The gas
sampling pump and the electrochemical cell are made
of methacrylate resin. The pump flow rate is about
400 cm3min�1, with the pumpmotor speed being held
constant by a governor. The sonde is enclosed in a
Styrofoam flight box. The KC79 sonde is operated by
the Japanese Meteorological Agency.

Electrochemical Concentration Cell Ozone Sonde

The ECC (electrochemical concentration cell) ozone
sonde was developed by Komhyr in 1969. The ECC
ozone sensor is an electrochemical cell consisting of
two half-cells, made of Teflon, which serve as cathode
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Figure 2 Schematic of the Brewer–Mast (BM) ozone sonde.
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Figure 3 Schematic of the carbon–iodine ozone sonde (KC79).
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and anode chamber, respectively (see Figure 4). Both
half-cells contain platinum mesh electrodes. They are
immersed in KI solutions of differing concentrations.
The two chambers are linked together by an ion bridge
in order to provide an ion pathway and to prevent
mixing of the cathode and anode electrolytes.

ECC sensors do not require an external electrical
potential, in contrast to the Brewer–Milford type of
electrochemical ozone sensor. The difference in the
concentrations of the KI solutions in the cathode and
anode chambers, 0.5%–1% KI and saturated KI,
respectively, delivers the electromotive force for the
ECC.

A small nonreactive Teflon gas sampling pump
forces ozone in ambient air through the cathode cell,
containing the KI-sensing solution of lower concen-
tration, and causes an increase of ‘free’ iodine (I2)
according the redox reaction [I]. At the surface of the
Pt cathode, I2 will be converted to I� through the
uptake of two electrons (reaction [II]), while at the
anode surface, I� is converted to I2 through the release
of two electrons. The overall cell reaction is shown in
reaction [V].

3I� þ I2 ! I�3 þ 2I� ½V�

Thus, one ozone molecule causes two electrons to
flow in the external circuit. The electric current is
thus directly related to the uptake rate of ozone
in the cathode chamber. The ECC ozone sonde is
displayed in Figure 4. The instrument, size about
8�8�14 cm, is enclosed in a styrofoam flight box

(E19�19�25 cm). TheECCozone sonde is nowadays
the most widely used sonde type.

Vertical Ozone Sounding

The set-up of an ozone sounding operation is shown in
Figure 5. During normal flight operation, ozone
sondes are coupled via special interfacing electronics
with standard meteorological radiosondes for data
transmissionof themeasured sensor current andpump
temperature plus additional measurement of aero-
logical parameters such as pressure, temperature, and
humidity (and, optionally, wind direction and speed).
Using the telemetry of the radiosonde, the data
measured by the sonde are transmitted to the ground
station for further processing.

The total weight of the flight package is typically
about 1 kg and it can be flown on small weather
balloons (see Figure 1). Normally data are taken
during ascent at a velocity of about 5m s�1 to a balloon
burst altitude of 30–35 km. The inherent response
time of the ozone sonde is 20–30 s, so that the effective
height resolution of the measured vertical ozone
profile is 100–150m.

Figure 6 shows some examples of vertical ozone
soundingprofiles obtained at amidlatitude site (Jülich,
Germany), over the tropical Atlantic (RV Polarstern),
and at theAntarctic (South Pole).Ozone sondes can be
flown under almost all weather conditions, even under
heavy cloud or in rainy conditions where op-
tical profiling techniques are rather limited in their
capabilities.

Pump (Teflon)

Air
intake

Pump motor
power supplySensor current

ECC ozone
sensor

Air exhaust
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Figure 4 Schematics of the electrochemical concentration cell (ECC) ozone sonde (A) and sensing cell (B).
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Factors Influencing Sonde
Performance

Each ozone sounding is made with a new instrument,
which therefore has to be characterized properly prior
to flight. Consistency of instruments with regard to
their quality and characteristics, as well as standardi-
zation of operating procedures, is a prerequisite to
assure consistent sonde measurements. Several instru-
mental and procedural parameters (see also eqn [1])
and their uncertainties can have a substantial influence
on the quality of the ozone sonde measurements.
Changes of these parameters through changes in
instrument, operating procedures, or environmental
conditions can have a significant impact on the long-
term ozone trends derived from ozone sondemeasure-
ments. From intercomparisons between different
sounding stations using the same sonde type, it has
been shown that the observed differences are for the
most part due to the differences in the preparation and
correction procedures applied at the different launch
sites. Fortunately, some of the instrumental factors
with the potential to influence the observed ozone
trends involve post-flight data processing, and the data
may susbsequently be re-evaluated when the influ-
ences of these instrumental factors and their uncer-
tainties are better understood.

Temperature of Gas Sampling Pump

Tocorrect for changes of the airmass flow rate through
the sensor due to temperature changes, the actual
pump temperature is measured in-flight either inside
the pump or in the instrument enclosure (Styrofoam
box). Over the course of a sounding, the pump
temperature can decline by typically 10–251C. How-
ever, inmost of the older sounding systems used before
the 1990s it was not possible to measure the actual
pump temperature owing to the limited number of
signals the analog operating radiosondes were able to
transmit. Therefore, it was commonpractice for either
a constant pump temperature or an empirical table of
the pump temperature as a fuction of ambient air
pressure to be applied. This procedure can introduce
uncertainties of 1–7% in the ozone computations,
particularly for the highest altitudes.

Pump Flow Efficiency

The volumetric flow of the gas sampling pump of each
sonde is measured individually before flight. At
ambient air pressures below 100 hPa the efficiency of
the gas sampling pump degrades, and this is corrected
for by applying a correction table of average pump
efficiency as a function of ambient pressure specific for
each sonde type. Typical correction factors as a
function of ambient pressure for each ozone sonde

type are listed in Table 1. The correction tables are
based on empirical averages obtained from pump flow
efficiency measurements made at different air pres-
sures in the laboratory. The uncertainty of the
tabulated correction factors increases substantially at
pressures below about 20 hPa, which can contribute
significantly to the overall uncertainty of the sonde
performance above 25–30 km altitude. The uncer-
tainty of the pump flow efficiency is the major
contribution to the overall uncertainty of the sonde
measurements above 25 km altitude.

Background Current

Prior to launch of the balloon, the background current
of each ozone sonde is determined individually, except
in the Brewer–Mast sondes forwhich prior to flight the
sonde readings are electronically compensated for the
background current. Background signals determined
at the surface are typically in the range of 0.1–0.5mPa
ozone equivalent. Ozone soundings are thus sensitive
to errors in the background signal correction in
regions where the ozone concentration is low, i.e., in
the upper troposphere. Such errors have the potential
to become large if the background signal is similar in
magnitude to the ozone signal. This is particularly the
case in the tropics (see Figure 6B), but also in the polar
regions when of the stratospheric ozone hole occurs
(see Figure 6C). For the conventional method of
background correction it is assumed that the back-
ground current is proportional to the oxygen partial
pressure, so that this offset gradually declines with
decreasing pressure and is vanishingly small in the
upper troposphere and stratosphere. However,
laboratory studies do not show any oxygen depen-
dence of the background current and it is more
appropiate to use a constant background current
correction throughout the entire sounding profile. The
origin of the background signal is not really under-
stood.

Table 1 Pump flow efficiency correction as function of ambient

pressure for the three ozone sonde types as obtained from

laboratory measurements

Pressure (hPa) Correction factor

BM sonde ECC sonde KC68/79 sonde

1000 1 1 1

200 1 1 1

100 1.01 1.01 1.02

50 1.03 1.02 1.04

30 1.07 1.03 1.07

20 1.09 1.04 1.11

10 1.17 1.06 1.25

7 1.24 1.08 1.40

5 1.30 1.10 1.66
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Conversion Efficiency

The conversion efficiency can be seen as the overall
result of the electrochemical cell characteristics, and is
primarily determined by the efficiency of absorption of
O3 into the sensing solution and the stoichiometry of
the conversion of O3 into I2. During normal operation
both parameters are unity, so that the conversion
efficiency is also assumed to be unity. However, in the
course of a sounding the uncertainties of the sensor cell
characteristics can increase. For example, a certain
percentage of the sensing solution evaporates at a rate
dependent on the temperature of the cell and the
ambient pressure encountered during the sounding.
For the ECC sondes, this means that the concentration
of the sensing solution increases, which can enhance
the sensitivity of the ECC sensor and can increase the
uncertainty of the ozone measurement. For the BM or
KC sondes, this effect is negligible because these
sondes operate at much lower concentrations of
sensing solution.

Another source of uncertainty is the influence of
local air pollution, which can have detrimental effect
on the conversion efficiency, i.e., on sensor perfor-
mance.Ozonemeasurements by aKImethod, as in the
electrochemical ozone sensor, are sensitive to inter-
ferences by oxidizing or reducing agents. However,
several laboratory experiments have shown that for
moderate polluted air, sulfur dioxide (SO2) is normally
the only trace gas that can produce significant negative
interferences in the measurements of ozone. As a
reducing agent, SO2 converts the iodide produced
from the ozone–iodine reaction back to iodine. A
memory effect can occur if excess of SO2 is accumu-
lated in the sensing solution of the sensor, which can
affectmeasurements not only in the pollutedboundary
layer itself but also up to 1–2 km above.

Total Ozone Normalization

Optionally, ozone sonde profiles are normalized so
that the integrated ozone column obtained from the
sonde profile plus an estimated residual ozone column
above the burst altitude is adjusted to an independent
nearby total ozone column measurement by, for
example, a Dobson or Brewer spectrophotometer.
Standard procedure for calculating the residual ozone
column is to assume a residual column with constant
mixing ratio equal to the measured value at the top of
the sonde profile. Uncertainties in the sonde readings
of pressure andozone at the burst altitude, and also the
assumption of constant mixing ratio, can introduce
significant uncertainties in the estimation of the
residual ozone column. This can be improved by an
alternative method in which a climatology of residual
ozone column data obtained from satellite observa-

tions is used.However, the influence of uncertainties in
pressure readings at the bursting point remains.

The use of the normalization to correct the profile is
conflicts with the fact that the electrochemical ozone
sonde is in principle an absolute measuring device.
However, even if the total ozone normalization factor
is not used to correct the sonde profile, it provides a
screening test for unreliable soundings using the
criterion that the normalization factormay not deviate
more than about 10–20% from unity. However, a
normalization factor of unity is not a guarantee that
the profile is correct. In routine operation, the
normalization factors for ECC sondes are in the range
of 0.9–1.1, while BM and KC sondes show normal-
ization factors of 0.8–1.2.

Precision and Accuracy

To quantify the precision and accuracy of the three
different types of ozone sondes, several comparison
studies of sondeswith other ozone profiling techniques
have been made since 1970. Most of the intercompar-
isons have been conducted in the field to assess the
sonde performance up to 30–35 km altitude. How-
ever, short-term intercomparisons are more or less
‘snap-shots’ and may not necessarily reflect the
performance of ozone sondes under operational field
conditions. Comparison studies of time series of ozone
sonde datawith other simultaneously operating ozone
monitoring methods such as lidar or microwave are
more suitable for assessing the data quality of the
ozone sonde measurements in regular operation. In
addition, intercomparisons conducted in a controlled
environmental chamber capable of simulating real
sounding conditions,where aUVphotometer serves as
reference, allow specific questions arising from field
intercomparisons to be addressed.

Owing to themuch lower concentrations of ozone in
the troposphere compared to the stratosphere, the
performance of the sondes and the typical instrumental
and operational factors determining precision and
accuracy are rather different in these two regions of the
atmosphere. However, most intercomparison studies,
particularly before 1990, focused exclusively on the
sonde performance in the stratosphere and only a few
intercomparison studies have addressed the sonde
performance under typical tropospheric conditions.

Stratospheric Performance

In general, all intercomparison studies, short-term as
well as long-term, have indicated that in the lower to
middle stratosphere between the tropopause and
B28 km the three different sonde types show con-
sistent results provided the individual measured sonde
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profiles have been normalized to ground-based total
ozone column measurements at the launch site. This
canbe understood from the fact that the normalization
is mainly weighted to the ozone in the lower strato-
sphere, which contains most of the column ozone.
In this altitude range, the precision of the various
sonde types is within 73%, while any systematic
biases compared toother ozone-sensing techniques are
smaller than 75%.

For altitudes above 28 km, the results are not so
conclusive and the measurement behavior of the
different sondes is different and cannot be generally
characterized. The Brewer–Mast sonde used by the
established (long-term record) stations (e.g., Hohen-
peissenberg) show systematic underestimations of
ozone that increase with altitude (�15% at 35 km).
For the ECC sondes, there is some evidence suggesting
that measurements agree with each other and with
reference techniques to within 75%. The Japanese
KC68/79 tends to overestimate ozone above 30 km.
The data quality of sondes above 28 km is strongly
influenced by the performance of the air sampling
pump and its efficiency decreases at lower pressures.
However, most of the intercomparison studies show
that the perfomance of the ECC sondes between 28
and 35 km is still rather good and even tends to
overestimate the ozone concentration compared to
lidar measurements. There are some experimental
indications that for ECC sondes there is probably a
compensating effect due to evaporation of the KI
sensing solution, which will cause an increase in
concentration and may result in a higher sensitivity of
the ozone sensor. However, in general the sonde data
above about 28 km are less reliable and should be used
with caution, at least for the non-ECC types.

Tropospheric Performance

There is a dearth of sonde validation studies for the
troposphere and, because of the small number of
comparisons, only estimates of the reliability of the
sonde data records below the tropopause can bemade.
Further, because ozone values are much lower in the

troposphere than in the stratosphere, the impact of
instrumental errors and variability is larger. Intercom-
parison campaigns between 1970 and 1990 have
shown systematic differences between sonde types,
typically varying from 10% to 15%. Campaigns
conducted after 1990 have shown that the Brewer–
Mast and KC79 sondes are less precise than the ECC
types and that the ECC sondes deliver much more
consistent results than the other two types of sondes.
The precision of the ECC sonde is better than
7(5–10)% and shows a small positive bias of about
3%. The Brewer–Mast and KC79 sonde showed
precisions in the range of 7(10–20)%, but there
are no indications of any bias larger than 75%.
Key issues of uncertainty are the background correc-
tion and theuseof the total ozonenormalization factor.

See also

Chemistry of the Atmosphere: Principles of Chemical
Change. Global Change: Ozone Trends. Ozone: Ozone
Depletion; Ozone as aUVFilter; Photochemistry of Ozone;
Role in Climate. Radiation (Solar). Satellite Remote
Sensing: TOMS Ozone.
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Introduction

Atmospheric aerosol play important roles in the
chemical, radiative, and hydrologic balance of the

atmosphere. The particles are generated by the Earth’s
surface, combustion, organic emissions, volcanoes,
and gas to particle conversions. They exist in sizes
between 0.001 and 100 mm, in concentrations
410�2m�3 for small particles and o10�9m�3 for
large particles, in mass concentrations on the order of
micrograms m�3, with compositions which include
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sulfates, nitrates, ammonium, crustal material, organ-
ics, carbon, and water. Removal occurs through
sedimentation and cloud processes. Residence times
are typically o30 days in the troposphere – less than
atmospheric mixing times – leading to a great deal of
spatial and temporal structure. Stratospheric aerosol
are well mixed, with residence times of years. To
completely characterize atmospheric aerosol would
require time- and space-resolved measurements of
aerosol number, size, mass, composition, optical
properties, shape, charge, and nucleating characteris-
tics. No instrument is capable of providing all, or even
a significant fraction, of these characteristics at once.
There are individual instruments, however, which can
measure each of these aerosol properties in situ relying
on a variety of techniques, including direct capture,
optical scattering, electrical mobility, condensation,
and dissociation. In situ implies measurements at or in
the immediate vicinity of an instrument. Aerosol
measurements in situ provide great detail, with limited
space and time coverage, and are the only way to

describe specifics of aerosol populations which are
necessary to fully characterize heterogeneous chemis-
try, atmospheric albedo, cloud formation and precip-
itation. Thus these measurements play vital roles in
improving our understanding of a variety of atmos-
pheric processes. Figure 1 lists in-situ aerosol meas-
urement techniques and indicates the size range over
which they are applicable. For size, diameter is used
throughout. Table 1 indicates the aerosol properties
which can be measured directly by the different
techniques and those which can be inferred. These
aerosol measurement techniques have been applied
both at the surface and, most of them, also on aircraft-
and balloon-borne platforms.

A few in-situ aerosol instruments that are sensitive
to larger particles truly sample atmospheric aerosol
without disturbing the aerosol. In all other cases
aerosol samples must be introduced into a sampling
region, whether a filter, impaction chamber, optical
chamber, electrical chamber, or growth chamber. This
requires inlets and pumps, and usually changes in

|← Nucleation mode --- →||← Accumulation mode ←||→ Coarse mode -----

|← Filters -------------------------------------------------------------------------------------
|← Diffusion ----------------→|

|← Cascade impactors --------------→|
|← Thermal precipitation -------------------→|

|← Electrostatic precipitation --------→|

|← Scanning electron microscope ------------→|
|← Optical microscope ---------------------

|← Transmission electron microscope →|

|← Diffusion analysis →|
|← Electrostatic analysis ------ →|

|← Laser cavity →|
|← Optical particle counter →|

~|← Nephelometer/backscattersonde -------
|← Condensation nuclei, ultrafine ------------------------------------------

|← Condensation nuclei, conventional --------------------------
~|← Cloud condensation nuclei ---------------------
|← Single particle composition ----------------------

|← Impaction/interception, centrifuge/cyclone
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Figure 1 Size range for in-situ aerosol measurement techniques as a function of diameter (mm). Interdecadal divisions on the log scale

are at 2 and 5. For reference the size range for the nucleation, accumulation, and coarse modes normally assumed for atmospheric

aerosol are shown at the top. Particle mass (g) assuming density5 1g cm�3 and terminal velocity (kmd�1) are shown at the bottom.
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temperature, pressure, relative humidity, and perhaps
charge. All of these factors may modify the aerosol
prior to sampling and must be considered to relate
sampled aerosol to ambient aerosol. Inlets which are
not isokinetic will have a size-dependent sampling
efficiency. Bends in intake lines and turbulence will
cause inertial loss of large particles. Long inlet lines
will cause diffusional loss of small particles. Changes
in temperature and pressure may cause loss of certain
volatile components of the aerosol. The size of many
tropospheric aerosol are sensitive to relative humidity.
Tropospheric aerosol samples are often precondi-
tioned to a controlled humidity to insure that temporal
or spatial changes in size distribution are not just
reflections of changes in humidity. Sampling geometry
and humidity must be considered when applying any
in-situ aerosol instrument.

Although some aerosol sampling techniques, such
as microscopy, spectroscopy, and gravimetry, provide
primary data and are thus self-calibrating, most
aerosol instruments require calibration against prima-
ry standards. Once instrument response functions are
established, partial calibrations are usually adequate
for routine operation. The most fundamental primary
standard is electron microscopy, for nonvolatile par-
ticles. Commercial primary standards include poly-
styrene latex beads of specific single sizes and aerosol
generation and classification systems capable of sup-
plying reliablemonodisperse aerosol samples between
0.01 and 1.0 mm for several aerosol compositions.

Clearly, sample flow rates must also be carefully
measured.

Aerosol Capture

Extracting aerosol particles froman airstream for later
analysis has a long history, is routinely applied,
employs many techniques, and has provided most
aerosol chemical composition information to date. Of
all in-situmeasurements, these techniques provide the
most comprehensive suite of measurements but have
the poorest time resolution, owing to the long
sampling times required. Analysis can be as simple as
weighing the collected aerosol to as complex as
counting, sizing, and chemically analyzing each par-
ticle collected.

Particles are captured when they contact collection
substrate, which include filters, plates, wires, electron
microscope grids, and quartz crystals. Particles are
captured primarily by interception, impaction, or
diffusion as they deviate from streamlines around a
collector. Particles which follow streamlines around a
collector and still contact the collector are intercepted.
Particles 41.0 mm will deviate from air streamlines
due to inertia, leading to impaction. Particleso0.1 mm
will deviate because of Brownian motion, leading to
diffusional capture. Between these sizes there is a
minimum in collection efficiency at B0.3 mm. Slow
flow improves diffusional capture. Fast flow improves
impaction.

Table 1 Aerosol properties measured by in-situ aerosol instruments

Instrument Aerosol properties

Physical properties Composition

Mass No. Size Shape Elements Ions Carbon Optical

Captured particles

Gravimetry X

Microscopy I X X X

Colorimetry X X

X-ray fluorescence X

g-ray emission X

Atomic spectroscopy X

Ion chromatography X

Infrared/Raman

spectrometer

X

Mass spectrometry X X

Oxidation X

Microbalance X

Optical particle counter I X X

Electrostatic Analysis I X X

Tandem DMA X X X

Nephelometer/backscatter X

Condensation nuclei X

Cloud condensation nuclei X

Single-particle analyzer I X X X X

X5 property measured. I5property implied.
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There are a number of devices to capture particles.
Most rely on impaction. These devices include, filters,
cascade impactors, wire impactors, virtual impactors,
centrifuges, and cyclones.Wire impactors are exposed
to high-velocity airstreams, such as those outside
aircraft. Virtual impactors force aerosol-laden air into
a pillow of quiescent air, exhausting sample air
through a tight bend to the side. Particles too large to
follow the air flow remain in the quiescent air for
collection. Centrifuges and cyclones collect particles
which deviate from streamlines of air forced into a
graduated rotation. Thermal gradients and electro-
motive forces can also be used to force aerosol onto a
sampling substrate. Cascade impactors or centrifuges
are used to size segregate the collected aerosol. A
cascade impactor consists of a series of impactors and
nozzles; as nozzle diameter decreases, air velocity
increases and smaller particles are captured, leading to
a cascade from larger to smaller particles on the
impactors.

Analysis of Captured Particles

The most routine measurement from captured parti-
cles is gravimetric, comparing the weight of unex-
posed and exposed substrate to determine aerosol
mass collected. Mass can also be determined by
comparing the attenuation of beams of b-particles
irradiating exposed and unexposed filters. Size distri-
bution measurements can be obtained using optical
and electron microscopes to count and size collected
particles. This analysis also provides information on
particle shape. While microscopy provides great
detail, disadvantages include expense, tedious and
time-consuming analysis, limitations on spatial and
temporal resolution, andpreservationof samples prior
to analysis. Chemical analysis of captured particles to
determine elemental, ionic, and carbonaceous com-
position of aerosol is possible from a variety of
techniques. The substrates used must be selected to
avoid artifact generation and to provide good blank
characteristics.

Elemental analysis of particles can be accomplished
by colorimetry, X-ray fluorescence, g-ray emission,
and atomic emission or absorption spectroscopy. The
elements and their concentrations are identified by the
strengths of their spectral absorption/emission lines.
Colorimetry involves wet chemistry to produce a
solution whose light absorption can be quantified.
X-ray fluorescence and g-ray emission use an energy-
dispersive detector tomeasure characteristic X-rays or
g-rays emitted from excited states of the elements.
X-ray fluorescence can be induced by exposure to
X-rays or protons, g-ray emission by exposure to
neutrons. Emission and absorption spectroscopy re-

quire the sample to be dissolved and vaporized.
Emission is measured from atoms which are excited
by arcs, inductively coupled plasmas, sparks, or lasers.
For atomic absorption, a widely used technique,
samples are dissociated into ground-state atoms in a
flame and spectral absorption measured.

Ions such as SO2�
4 ; NO�

3 ; NHþ
4 , which are major

components of ambient aerosol, can be measured by
colorimetry, ion chromatography, selective ion elec-
trodes, infrared or Raman spectroscopy, or mass
spectrometry. The first three techniques require aero-
sol to be aqueously extracted from substrateswhile the
latter two do not. Ion chromatography, the most
common technique, uses ion exchange to separate
sample ions within a column. Ion concentrations are
then measured with conductivity. Selective ion elec-
trodes are variants of a pH meter. Infrared or Raman
spectroscopy uses photons to probe the vibrational
structure ofmolecules. Infrared photons at frequencies
characteristic of molecular vibrational bands will be
absorbed in proportion to molecular concentration.
Visible photons which inelastically (Raman) scatter
from samples will display frequency shifts character-
istic of molecular vibrational bands. These techniques
are sensitive also to organics and oxidized organics.
For mass spectrometry a laser is used to volatilize and
ionize samples. All ions from samples are then
measured in a time-of-flight mass spectrometer. Since
all sample components are ionized, this technique can
measure elemental, ionic, andmolecular composition;
however, quantitative information is limited by the
creation of molecular clusters and fragments during
vaporization. Laser power can be adjusted to slant the
measurements toward ions and molecules or to
selectively desorb outer particle layers. Another tech-
nique tomeasure aerosol surface properties uses an ion
beam to remove or ‘sputter’ ions off particle surfaces,
which are then measured with a mass spectrometer.

Total carbon can be determined by heating samples
in oxygen and measuring the resultant CO2. Tech-
niques to separate total carbon into elemental and
organic have been attempted in severalways; however,
there is still no accepted standard. Techniques include
slowly volatilizing organics or graduated extraction
chemically. Visible light absorption by aerosol collect-
ed on filters is also used to estimate elemental carbon;
however this method is also uncertain. Elemental
carbon is light-absorbing and therefore important for
radiation budgets.

Oscillating Microbalances

Alternate techniques to determine aerosol mass em-
ploy oscillating microbalances which provide direct,
real-time mass measurements as opposed to the
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delayed analysis of gravimetry and b-ray attenuation.
These instruments measure changes in oscillation
frequency of sensitive elements as mass is accreted.
The tapered-element oscillating microbalance uses a
replaceable aerosol collector, either a filter or a plate
impactor. The collector is mounted on the tip of the
tapered element, which is caused to oscillate with an
electric field. Generally, collection efficiencies are
superior to those of piezoelectric microbalances,
particularly for larger aerosol particles.

Piezoelectric crystal microbalances, usually quartz,
are forced to oscillate with an alternating electric field.
Particles are deposited on the metal-coated crystal
surfaces by either electrostatic precipitation or inertial
impaction. The frequency of exposed crystals are
referenced to an identical unexposed crystal at the
same temperature, pressure, and humidity. Size-dif-
ferentiated mass can be obtained from these instru-
ments by coupling a series of piezoelectric micro-
balances to an inertial impactor. Difficulties with these
instruments generally concern the efficiency of particle
collection. In contrast to a filter, the collection surface
is smooth and hard, and thus some particles will
bounce. Avariation of the quartz crystalmicrobalance
involves a technique to increase oscillation frequency
from 10 to 100MHz. This is called a surface acoustic
wave and increases mass sensitivity by a factor of
1000.

Optical Particle Counters

Some of the more common aerosol instruments
measure aerosol size distribution directly by counting
single particles and measuring the intensity of scat-
tered radiation as particles pass through a light beam.
Instruments consist of a light source, scattering
chamber, and photodetector. Voltage pulses from the
photodetector are related to aerosol size. Visible
wavelengths are convenient for these counters, thus
these instruments are often referred to as optical
particle counters (OPCs).

Particle size from OPCs is determined from the
intensity of scattered radiation. For particles smaller
and larger than the wavelength of the scattered light,
instrument response as a function of size is monotonic
and not extremely sensitive to index of refraction, For
particles near thewavelength of the incident radiation,
the scattering develops a resonance which causes
oscillations in instrument response function (Figure 2).
These oscillations vary according to the particle index
of refraction. The influence of these oscillations can be
limited by including signals from a number of wave-
lengths or from a number of scattering angles.
Thus white-light counters, even though they are less

sensitive than laser counters, have the advantage of a
more monotonic response. Laser-based counters can
reduce Mie resonances by collecting radiation over
many angles. Figure 2 displays, for two indices of
refraction, changes in instrument response function as
instrument response is integrated overwavelength and
over larger collecting angles. There are new double-
angle instruments now in use which attempt to use the
angular and index of refraction dependence of Mie
scattering to estimate particle index of refraction.

The sensitivity of OPCs is determined by particle
size for small particles and by particle concentration
for large particles. As particle size decreases, scattered
radiation from a single particle becomes comparable
to Rayleigh scattering from gas molecules in the
aerosol stream and therefore indistinguishable. For
white light counters this occurs near 0.2 mm. Laser
counters sampling aerosol within laser cavities can
extend their sensitivities to 0.06 mm. At sizes larger
than a few micrometers, atmospheric aerosol concen-
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Figure 2 Optical particle counter response as a function of

diameter for two indices of refraction and four sampling configu-

rations. The indices of refraction assume only scattering, real part

of index of refraction, and no absorption, imaginary part of index of

refraction set to 0. The four sampling configuration are: (a) white

light (wavelengths 0.3–0.7mm) with scattering angles 23–571,
(b) white light with scattering angles 36–441, (c) monochromatic

light (0.48mm) with scattering angles 23–571, (d) monochromatic

light with scattering angles 36–441. The relative intensities of the

four configurations are not shown to scale to display all four results

on the same plot.
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trations decrease by up to 104 compared with smaller
sizes, and very few particles are sampled. Thus
uncertainty in the measurement of concentration for
particles greater than a fewmicrometers is large owing
to poor counting statistics; however, the signal from
any large particle is well above instrumental noise.

To calibrate OPCs requires models of instrumental
response to particles of various sizes and refractive
indices. Themodels are based onMie scattering theory
for spherical particles and on chamber geometry.
Particles of known size and refractive index are then
sampled and instrument gain is adjusted until instru-
ment response matches the predicted response. Once
the instrument response function over a range of
aerosol sizes has been established, routine calibrations
are usually performed at only a few sizes. For non-
spherical particles, instrument response functions will
deviate from prediction to the extent that scattering
from irregular particles deviates from Mie theory.

A variation of the OPC is an aerodynamic particle
sizer which also provides size distribution measure-
ments. Particle-laden air streams are forced to accel-
erate through a convergent nozzle. The particle
acceleration will be a function of aerodynamic diam-
eter, producing a distribution of velocities upon
exiting the nozzle. Particle velocity is measured after
the nozzle as particles cross the paths of two separated
laser beams.

Electrostatic Spectrometers

Some of the best size distribution measurements in the
size range 0.01–1.0 mm are obtained with electrostatic
aerosol spectrometers. These instruments rely on the
principle that in an electric field an equilibrium is
quickly established between electromotive force on a
charged particle and aerodynamic drag. The resulting
drift velocity, inversely proportional to aerodynamic
diameter, is a single-valued function of size for
particleso1.0 mm. To remove ambiguity, an impactor
removes particles 41.0 mm. The lower size limit is
constrained by inefficient charging for small particles.
Less than 3% of particles are charged for particles
o0.005 mm.

Each instrument consists of an aerosol charging
region, a drift tube with an applied electric field, and
an outlet to a particle sensor. Aerosol charging is
accomplished in a region of high ion density through
random collisions between ions and particles. If the
ion source is unipolar/bipolar then aerosol particles
obtain an equilibrium unipolar/bipolar charge distri-
bution which is a function of aerosol size. This
distribution must be known to relate measurements
of charged aerosol to ambient aerosol at any size.

Bipolar distributions, called Boltzmann equilibrium
charge distributions, are more easily characterized
than unipolar distributions, which require experimen-
tal determination and are thus sensitive to operating
conditions. For particles 40.05 mm, bipolar distribu-
tions are approximately Gaussian, but deviate at
smaller sizes. The drift tube consists usually of a
cylinder with a center rod. Variable high voltage is
supplied to the rod and the flow through the cylinder is
carefully controlled. At a given voltage all charged
particles less than a certain size will be collected by the
rod. The remaining particles exit the drift tube and are
counted. Two exit geometries are used. In an electro-
static aerosol analyzer (EAA), which uses a unipolar
aerosol charger, all particles not captured by the center
rod, including uncharged particles, are sent to the
aerosol sensor. The drift tube acts as a low-pass filter.
In a differential mobility analyzer (DMA) a narrow
annulus near the center rod is used such that only
charged particles within a narrow range of mobilities
will exit to the aerosol sensor. Larger particles impact
outside the annulus. The drift tube acts as a bandpass
filter. In both cases, size distributions are measured by
scanning the center rod through a series of preset
voltages. To count particles exiting the EAA, particles
are captured on a filter in a Faraday cup and the
current is measured. An aerosol counter sensitive only
to charged particles is necessary to relate exiting
charged particles to the original aerosol samples, since
in this case uncharged particles also exit. For theDMA
either a Faraday cup or a condensation nucleus
counter can be used as the aerosol counter.

Using two DMAs in tandem provides options
to measure volatile or soluble fractions of aerosol
(Figure 3). The first DMA is used to select a monodis-
perse fraction of ambient aerosol. This fraction is then
either passed through a heater controlled at different
temperatures, usually l00–3001C, or humidified, prior
to entering the second DMA. The center rod voltage
on the second DMA is scanned to measure a size
distribution. The output aerosol concentration is
measured with a condensation particle counter. Thus
it is possible to determine changes in size for nearly
monodisperse samples of ambient aerosol, caused
either by evaporation of volatile components or by
growth of soluble aerosol.

Ensemble Optical Instruments

A few in-situ instruments measure optical scattering
from an ensemble of particles. The nephelometer, the
most common of these instruments, measures aerosol
total scattering coefficient and hemispheric backscat-
ter, parameters important for radiation balance and
visibility. The backscattersonde measures aerosol
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backscatter and sometimes depolarization. Multi-
wavelength aerosol backscatter is useful to describe
the vertical and horizontal aerosol structure and can
be related to aerosol mass and particle size.

A nephelometer consists of a monochromatic light
source, sampling chamber, and photodetector. Light
scattered from aerosol and gas in the sampling
chamber is collected over an angular range of
�7� to �170�. Aerosol scattering is measured as
the difference between filtered and ambient air, which
are alternated in the sample chamber. Some instru-
ments include a shutter to partially block the light
source. Scattering is then limited to angles in the
backward direction and the nephelometer is sensitive
to hemispheric backscatter. Multiwavelength instru-
ments are available. The instrument is calibrated by
measuring its response to a clean, aerosol-free, gas
sample whose scattering characteristics are well
known.

The backscattersonde, usually deployed on bal-
loons or aircraft, consists of a pulsed light source and
receiving optics focused on the light beam 30–50m
from the instrument. The light sources are either
xenon flash lamps or lasers. The instruments alter-
nately measure backscattering from a pulsed light
source andambient backscatter from thenight sky. For
the xenon flash lamps the detectors use filters to obtain
the wavelength dependence of backscattered signal.
For laser instruments several wavelengthsmay be used
and an additional detector included to measure the
depolarized signal.

Condensation Particle Counters

All condensation-based instruments measure aerosol
number concentration. These instruments expose
aerosol samples to supersaturated vapor, usuallywater
or alcohol, wherein aerosol particles act as sites for
vapor condensation and form droplets. The number of
droplets formed is sensed using optical techniques.
The fraction of particles which act as condensation
sites, and their growth, both depend on supersa-
turation. For supersaturations 420%, particles
40.01 mm will activate. Thus these instruments
measure nearly the total aerosol concentration, also
known as Aitken nuclei or condensation nuclei (CN),
and these instruments are CN counters. Supersatura-
tions near 200% allow instruments to measure parti-
cles down to 0.003mm. For supersaturations similar to
those experienced in a cloud, less than 1.0% over
water, only a small fraction of particles will activate.
These represent cloud condensation nuclei (CCN). Ice
nuclei are also extremely important in the atmosphere;
however, the measurement of these particles is still
highly uncertain and will not be discussed here.

Condensation Nuclei

CN counters consist of a supersaturation region and
an aerosol detector. The supersaturation is generally
achieved with either expansive cooling or conductive
cooling chambers. Expansive cooling chambers sam-
ple aerosol in a bulk mode and use water as the
working fluid. An air sample is drawn into the
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sampling chamber and humidified. A sudden pressure
change adiabatically cools the chamber, creating the
supersaturation. The extinction of a light beamwithin
the chamber is measured and the number of particles
estimated from calibrations with known aerosol con-
centrations. In earlier versions of these instruments the
droplets which formed were collected and counted at
the base of the saturation chamber.Most CN counters
are conductive cooling types which use continuous
flow chambers, and thus can be interfaced with
diffusion batteries or electrostatic aerosol spectrome-
ters. These CN counters consist of saturator, condens-
er, and optical counter. In the saturator, air is saturated
with vapor, typically n-butyl alcohol, at temperatures
near 201C above the condenser where supersaturation
develops. The aerosol grow to droplets with sizes large
enough to be counted with an optical counter as they
exit the instrument. The extent of supersaturation,
controlled by the temperature difference between
saturator and condenser, determines the minimum
particle size which can be measured. Size distributions
for CN can be measured by coupling diffusion batter-
ies to CN counters, or by carefully controlling the
nucleation and growth environment.

Cloud Condensation Nuclei

Most CCN counters are based on thermal diffusion
chambers, which consist of parallel water-saturated
plates held at different temperatures. The chamber
supersaturation can be controlled in the range
0.2–1.0% with the plate temperature difference.
Differences in vapor and thermal gradients between
the plates create supersaturations which reach a
maximum near the center. Static thermal diffusion
chambers hold air samples at a single supersaturation
for approximately 20 s and then the air sample is
replaced. The cloud of droplets which forms can be
photographed and counted, or else scattering from a
constant light source can be measured and associated
with a number concentration. Continuous-flow ther-
mal diffusion chambers can be operated at several
supersaturations simultaneously by maintaining sev-
eral discrete temperature differences across the plates
at different points in the sampling chamber. Aerosol
are exposed to increasing supersaturations and so
increasingly smaller particles will activate and grow.
The droplet size at the end of the chamber, measured
with a single particle optical counter, is an indication
of droplet growth, which is related directly to the
critical size and supersaturation of the CCN. Thus
these instruments can provide a CCN spectrum from a
single aerosol sample. This is not possible with static
diffusion chambers. Calibration of CCN counters is
difficult, and several methods are employed.

Single-Particle Composition Analyzers

Instruments which can size and chemically analyze
individual aerosol particles in real time constitute the
biggest recent development for in-situ aerosol instru-
ments. Prior to this nearly all chemical information
was based on post analysis of captured particles. The
new instruments use mass spectrometers to analyze
atomic and molecular ions desorbed from particles.
Differences occur in the way particles are sized,
vaporized, and ionized. One type uses optical scatter-
ing to size particles and to pulse an excimer laser at the
appropriate time to vaporize and ionize particles
Z0.2 mm. The complete mass spectrum of either the
positive or the negative ions from a single particle is
measured with a time-of-flight mass spectrometer;
however, owing to the creation ofmolecular fragments
and clusters by laser ionization, mass ratios are
difficult to quantify. Another type uses an aerosol-
focusing lens to concentrate particles into a narrow
stream. Aerodynamic particle diameters are deter-
mined from time-of-flight measurements before the
particles are directed into a high-temperature evapo-
ration region. Desorbed molecules are ionized by
electron impaction and the ions measured with a
quadrapole mass spectrometer. The measured compo-
sition of any particle is limited by the range setting on
the mass spectrometer and by the temperature of the
volatilization chamber. The mass spectrometer setting
is adjusted between particles to scan the aerosol
composition. Typically, these instruments are sensitive
to molecular ions from particles Z0.06 mm. They
cannot measure nonvolatile species, nor the full
volatile mass range from single particles. These
instruments are, however, more quantitative than
laser ionization.

See also

Aerosols: Climatology of Tropospheric Aerosols; Obser-
vations and Measurements; Physics and Chemistry of
Aerosols; Role in Cloud Physics; Role in Radiative Trans-
fer. Observations for Chemistry (Remote Sensing):
Lidar. Satellite Remote Sensing: Aerosol Measure-
ments. Tropospheric Chemistry and Composition:
Aerosols/Particles.
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Introduction

Resonance fluorescence is a sensitive and selective
analytical technique used to detect and quantify the
abundances of atoms and some small molecules in the
atmosphere. The method relies on the absorption of a
photon by the species of interest and re-emission of
radiation at the same wavelength. Resonance fluores-
cence has been used for nearly a century in the
laboratory for detection of small quantities of atoms,
particularly during chemical kinetics studies. Appli-
cation to in situ detection of reactive compounds in the
Earth’s atmosphere began in the early 1970s with
measurements of oxygen atoms in themesosphere and
thermosphere. Today the resonance fluorescence tech-
nique is used routinely to detect andquantify a number
of important constituents. This article discusses the
general principles behind the resonance fluorescence
technique, describes the types of hardware needed to
make resonance fluorescencemeasurements, and gives
some specific examples of how resonance fluorescence
has been used.

General Principles

Resonance fluorescence is one of several types of
fluorescence common in atoms and small diatomic
molecules. When an atom interacts with sufficiently
energetic radiation, it becomes electronically excited;
that is, an electron is moved from its lowest energy
location (the ‘ground state’) to a higher energy state.
Following this excitationprocess, the atommay return
to its ground state in any of several ways. In resonance
fluorescence, an atom (or small molecule) is excited by
radiation at a certain wavelength, and emits radiation
at that same wavelength when it returns to the ground
state.

With the addition of more atoms to a molecule,
more electronic transitions, as well as a manifold of
vibrational and rotational states within each electron-
ic state, are available.Althougha resonant transition is
still possible, it becomes much less significant among
all the possible means for a molecule to redistribute
energy. One consequence of the relatively few transi-
tions available to atoms is that the absorption cross-
sections are quite large (on the order of 10�14 cm2

compared to a typical molecular absorption cross-
section of 10�18 cm2), which makes detection of small
concentrations of atoms by resonance fluorescence
relatively easy.

Atomic fluorescence was first reported in the early
1900s, when scientists were able to excite the well-
known D lines of sodium vapor (at 589 nm) using
energy provided by a flame. This fluorescence was
termed ‘resonance radiation’ because it was predicted
by the classical theory of light to be vibrating at the
same frequency as the dipole oscillations of the
medium creating it. Subsequent research discovered
similar resonant radiation among other elements,
including mercury, cadmium, zinc, and the alkali and
alkaline-earth metals. Little work was done using
atomic fluorescence until the 1960s, when the first
quantitative analyticalmethodswere developed. Since
that time, atomic fluorescence has been employed in
the laboratory and in the field to quantify more than
half of the elements in the periodic table.

Instrumentation

A schematic illustration of a resonance fluorescence
detection system is shown in Figure 1. Radiation from
a light source impinges on a volume containing the
sample to be probed and a detector gathers the
resonant radiation generated by the sample. The
placement of the detector at right angles to the light
source is not accidental; care must be taken to avoid
illuminating the detector with photons from the
source, which is often several orders of magnitude
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brighter than the resonant radiation to be detected.
Light sources and detectors for a specific resonance
fluorescence measurement differ depending upon the
exact nature of the experiment.

Light Sources

While early studies used flames to provide the
energizing radiation, modern experiments employ
specially constructed lamps, lasers, or the Sun to
provide the exciting radiation. Lamps and lasers are
nearly monochromatic sources of light, which limits
the types of atoms they excite, whereas the Sun is a
broadband source. Although details vary according to
the specific measurement, the typical resonance lamp
consists of a clear glass (quartz, Pyrex, etc.) body filled
with a relatively low pressure (less than 10 hPa) of an
inert gas, such as helium or argon. The inert gas is
excited by means of a radio frequency, microwave, or
DC-glow discharge to form a plasma. Very small
amounts of a source compound containing the atomof
interest are seeded into the plasma, which breaks
down the compound and excites the atom, producing
the resonance radiation. Many lamps are completely
sealed, containing the source and a sink for impurities
(called a ‘getter’, usually a metal such as barium) in
small, heated side-arms. Some sealed lamps are not
stable, so instead a flowing mixture of source and
carrier gas is pumped through the lamp body.

No matter how carefully constructed, very few
resonance lamps are spectrally pure. For example, it is
extremely difficult to completely remove water during
the construction and processing of a lamp. Even very
tiny amounts of water in the source or in the plasma
gas create hydrogen and oxygen atoms and their

attendant emissions. Furthermore, most atoms have
emission lines that are not useful in the resonance
fluorescence experiment. It is usually necessary to filter
out these unwanted emission lines. This can be
accomplished by employing optical windows of var-
ious compositions or gas-filled cells in front of the
radiation source. Figure 2 shows the range of trans-
mission wavelengths for several common window
materials.

Detectors

While silicon-based photodiodes do respond to light at
the necessary wavelengths, their sensitivity is too low
to detect the resonance radiation emitted from atoms.
Photodiodes are, however, often used to monitor and
control (through feedback circuitry) the brightness of
the light source. The most common detectors for
resonance fluorescence measurements are photomul-
tiplier tubes (PMTs). A standard PMT consists of a
vacuum tube with photosensitive material on one face
(the photocathode), which, when struck by a photon,
releases an electron. These photoelectrons are focused
by an electrode, then multiplied by a series of
electrodes called dynodes. The dynodes produce
multiple secondary electrons for each primary photo-
electron,which are collected by the anode at the end of
the dynode chain. The current generated by each
photoelectron is quite small, even after multiplication,
so PMTs usually are accompanied by electronics to
amplify their output.

The choice of PMT is based on the magnitude of the
expected signal from the resonance emission and on
the wavelength of that emission. These two parame-
ters set the length of the dynode chain (and hence the
extent of electron multiplication) and the photo-
cathode material, respectively. The so-called work
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Figure 1 Schematic representation of the components of a typical
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function (the energy required for amaterial to release a
photoelectron) determines the wavelength range over
which photocathode materials are sensitive. Photo-
cathodes are typically made of alkali-metal films such
as potassium bromide (KBr), cesium telluride (CsTe),
cesium iodide (CsI), or rubidium telluride (RbTe). So-
called bialkali photocathodes (containing, for exam-
ple, both cesium and potassium) have extended ranges
of sensitivity. Several of these materials have very low
sensitivities in the visible wavelengths and are termed
‘solar-blind’. This is a critical concern for measure-
ments made in the atmosphere, where photons from
direct or scattered solar radiation canoverwhelm those
expected from resonance fluorescence. As with light
sources, the range of wavelengths detected by PMTs
can be further limited by use of an appropriate filter
between the resonance radiation and thedetector itself.

Application to Atmospheric
Measurements

Resonance fluorescence is an ideal choice for measur-
ing atomic and small diatomic species in the atmos-
phere because of its sensitivity and selectivity. Atomic
species are quite reactive and therefore are present at
low abundances in the atmosphere. Typical concen-
trations range from 1�106 to 1�109 atoms cm�3,
which is an amount inaccessible to most absorption
techniques but consistent with laboratory detection
limits for resonance fluorescence.

In spite of the apparent applicability of resonance
fluorescence to atmospheric measurements, there are
some obstacles that must be overcome. The resonance
fluorescence process can be written in the form of
chemical equations (eqns [I] and [II], where X is the
ground state of the species of interest, Xn is the excited
state, and hn is a photon).

Xþ hn ! Xn ½I�

Xn ! Xþ hn ½II�
At very low pressures, which can be obtained in the
laboratory or high in the Earth’s atmosphere, these are
the only two processes that need to be considered.
However, at the modest densities characteristic of the
stratosphere, a collision between the excited state
atom and another molecule can cause the atom to
return to its ground state without fluorescing. This is
written schematically in eqn [III],whereM is anyother
molecule.

Xn þM ! XþM ½III�
This process, called ‘quenching’, reduces the apparent
fluorescence efficiency; that is, the ratio of emitted to

absorbed photons is less than in the absence of
quenching. As the atmospheric density increases (that
is, at lower altitudes), quenching becomes a larger
interference in a resonance fluorescence measurement.

Another consequence of the presence of atmospher-
icmolecules is the increase in background signal due to
Rayleigh scattering of photons from the resonance
fluorescence light source. Laboratory experiments are
often conductedwith heliumor argon as a gasmedium
to avoid Rayleigh scattering because monatomic
species do not have appreciable Rayleigh scattering
cross-sections. It is obviously not feasible to remove
the major atmospheric gases from a sample, so
Rayleigh scattering causes an unavoidable back-
ground inmost resonance fluorescencemeasurements.
Furthermore, the amount of Rayleigh scattering varies
in proportion to density, so it is not a constant in
measurements made over a range of altitudes. In some
cases, though, the variation inRayleigh scattering over
time at a fixed density has been exploited to monitor
small changes in the intensity of the resonance light
source.

A number of gases present in the atmosphere
interfere with resonance fluorescence measurements
by absorbing both the exciting and emitted radiation.
Figure 3 shows the absorption cross-sections of water
and oxygen as a function of wavelength, as well as
some of the wavelengths commonly used for reso-
nance fluorescence observations. While some reso-
nance lines fall fortuitously in spectral valleys, most
are affected by absorption from oxygen and water
(hence the term ‘vacuum ultraviolet’ to describe
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wavelengths below about 200 nm). Again, these
problems become worse with increasing atmospheric
density, limiting the usefulness of resonance fluores-
cence measurements at ambient pressures in the lower
stratosphere and throughout the troposphere.

Examples of Atmospheric
Measurements

Resonance fluorescence has been used to make
atmospheric measurements for more than three dec-
ades, including both in situ and remote observations.
Some of the earliest uses of resonance fluorescence
were for studies of planetary atmospheres, employing
the Sun as a light source. Missions such as Pioneer
Venus, Mariner 10 (to Venus and Mercury), and the
Apollo 17 Lunar Orbiter carried ultraviolet spectro-
meters to detect the emission signatures from atomic
and small diatomic components of the planetary
atmospheres, including species such as hydrogen,
oxygen, nitrogen, and carbon atoms, krypton, and
carbon monoxide.

Atomic Oxygen

Atomic oxygen is a trace component of the Earth’s
atmosphere, becoming dominant over ozone at alti-
tudes above about 60 km during daytime, when there
is solar radiation to produce it. Above about 120 km
altitude, atomic oxygen is the primary oxygen species,
becoming more significant than molecular oxygen.
Thus, measurements of atomic oxygen are critical to
understanding the chemistry of the upper atmosphere.
Further, atomic oxygen is known to play an important
role in the degradation of space-borne materials and
creates aerodynamic drag on objects, slowly degrad-
ing their orbits.

Resonance fluorescence was a logical choice for
measuring atomic oxygen in the Earth’s upper atmos-
phere, given that the predicted concentrations ranged
from 1�107 to 1�1011 atoms cm�3. Not only is the
absorption cross-section for the resonant transition of
oxygen large, but resonance fluorescence also has a
linear response (signal per atom) over a wide range of
emitter concentrations. Furthermore, resonance fluo-
rescence instrumentation is relatively simple and
amenable to adaptation on the rocket payloads
necessary to reach the mesosphere and thermosphere.

While resonance fluorescence has the advantages of
beingdirect, sensitive, and selective, interferences from
Rayleigh scattering, director scattered solar ultraviolet
radiation, and recombination of atomic oxygenwithin
the measurement volume are important limitations to
the method. Application of resonance fluorescence on
rocket payloads can also suffer from Doppler shifting

of the exciting radiationowing to the extreme speedsof
the rocket (often three to four times the speed of
sound), thus decreasing the apparent resonance fluo-
rescence efficiency. Furthermore, the shock caused by
the rocket’s passage can alter the abundance of atomic
oxygen within the measurement volume.

All of the rocket-borne atomic oxygen measure-
ments havebeenmade in sampling volumes external to
the payload, while balloon-borne instruments have
sampled air drawn through a nacelle-like structure
that houses the lamp and detector optics. A variety of
detector and optical filter types have been employed to
reduce interference fromRayleigh scattering and solar
radiation in the external optical paths. In addition, an
assessment of these background signals can be made
by switching the lamp on and off several times per
second. The balloon payloads tested for similar
background signals through addition of a hydrocar-
bon that reacts rapidly with atomic oxygen. Table 1
details some experiments.

Laboratory calibrations of atomic oxygen measure-
ments are carried out in chambers designed to mimic
the low-pressure environment of the Earth’s upper
atmosphere. The resonance fluorescence signal is
compared with the concentration of oxygen atoms
determined by direct absorption, as observed with a
second light source and detector.

Halogen Oxides and Atoms

Measurements of three halogen species (Cl, ClO, and
BrO) have played a major role in understanding
stratospheric ozone chemistry. These very reactive
radical species are key reactants in the catalytic
destruction of ozone throughout the stratosphere.
Despite their importance, the concentrations of these
species are too small to be detected by spectroscopic
techniques under most circumstances. The unusual
chemistry of the ‘ozone hole’ enhances abundances of
ClO to 10–100 times normal; at these concentrations,
it can be detected easily from the ground or space by
microwave emission. Most in situ absorption and
fluorescence techniques are not sufficiently sensitive to
detect ClO directly, owing to its relatively small
absorption cross-section and the fact that the excited-
state molecules tend to fall apart faster than they can
fluoresce.

Since directmeasurements of ClO (and BrO) are not
feasible, and long-path or remote-sensing observa-
tions are difficult, someother strategy is necessary. The
halogen oxides can be converted to atoms by reaction
with nitric oxide (NO), followed by resonance
fluorescence detection of the resulting chlorine
and bromine atoms. The chemical conversion step
is not 100% efficient for chlorine oxide, varying
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substantially with temperature, pressure, and ambient
ozone concentration (ozone converts the atoms
back to oxides). However, the conversion efficiency
can be assessed in the laboratory and verified in
the field through variation of the amount of nitric
oxide added and of the sample flow velocity, in the
manner of a laboratory chemical kinetics experiment.
Chemical conversion of bromine oxide to bromine
atoms is substantially less sensitive to ambient condi-
tions. In principle, iodine oxide (IO) can also be
measured by the chemical conversion resonance
fluorescence method, but this has yet to be done in
the atmosphere.

Resonance fluorescence detection of chlorine atoms
is carried out using an emission line that falls conven-
iently in a valley of the oxygen absorption spectrum
(see Figure 3). Nonetheless, absorption of the emitted
resonance radiation by oxygen limits the utility of the
resonance fluorescence technique for chlorine to
atmospheric pressures less than about 150 hPa. Res-
onance fluorescence measurement of bromine can be
accomplished at a number of wavelengths. In the
absence of oxygen, transitions between 150 and
160 nm are favored, because of their larger cross-
sections; however, in the atmosphere, these lines are
completely absorbed by ambient oxygen. Thus, a
transition at about 131.7 nm is used. There is still
considerable absorption by molecular oxygen at this
wavelength, which limits resonance fluorescence de-

tection of atomic bromine to pressures less than about
70 hPa.

The abundance of ambient chlorine and bromine
atoms is sufficiently small (less than 1�105 cm�3) in
the lower and middle stratosphere that they cannot be
detected. The only unambiguous detection of ambient
chlorine atoms in the atmosphere is in the exhaust
plumes of solid rocketmotors,where the total chlorine
abundance is more than ten times the normal atmos-
pheric amount. Chlorine and bromine oxides are
usually present at concentrations between 2�106 and
2�108 molecules cm�3, well within the capabilities of
resonance fluorescence.Nonetheless, there is sufficient
background signal from Rayleigh scattering that
modulation of the atomic resonance fluorescence
signal is necessary for accurate detection. This mod-
ulation is accomplished by periodic addition of the
reagent nitric oxide, giving alternating background-
only and resonance fluorescence-plus-background
signals.

The accuracy of resonance fluorescence measure-
ments of the halogen oxides is between 25%and 45%,
depending upon the atmospheric conditions under
which the observations are made. In laboratory
calibrations, the resonance fluorescence signals for
chlorine are referenced to atomic absorption, while
those for bromine are usually referenced to chlorine
via a titration reaction (Cl1Br2-Br1BrCl) because
the absorption cross-section for bromine is not well

Table 1 Details of some resonance fluorescence measurements

Oxygenb

(O)

Chlorinec

(Cl)

Bromined

(Br)

Hydroxyl e

(OH)

Carbon monoxidef

(CO)

Wavelength (nm) 130.22 118.875 131.7 308.244 Many near

130.49 118.877 308.252 151.0

130.60 308.256

Transition 3S–3P 2D–2P 4P–2P A2Sðv 0 ¼ 0Þ � X2Pðv 0 0 ¼ 0Þ A1P� X1S
Cross-section (cm2) 7.3�10�14 2.5�10�13 See text 7.7�10�16 2–9�10�15

Minimum detectablea 2�106 cm�3 1�106 cm�3 1�106 cm�3 1�105 cm�3 4�1010 cm�3

Sensitivitya (counts/atom) 2�10�7 5�10�6 5�10�6 2�10�6 5�10�9

Accuracya 25–50% 20–35% 30–45% 30–50% See text

Platform(s) Balloon Balloon Balloon Balloon Aircraft

Rocket Aircraft Aircraft Aircraft

Ground Ground Ground

Altitude range (km) 25–200 0; 8–35 0; 8–32 0–45 0–8

Light source Lamp Lamp Lamp Lamp; laser Lamp

Source material KMnO4/He PtCl2/He PdBr2/He H2O/He; Organic dye CO2/Ar

aTypical values, not representative of any individual experiment.
bOsborne JJ et al. (2001) Review of Scientific Instruments 72 (11): 4025. Takegawa N, et al. (2000) Earth, Planets and Space 52: 595.

Kita K, et al. (1996) Annales Geophysicae (Germany) 14: 227.
cAvallone LM (1993) PhD thesis. Harvard University.
dToohey DW, et al. (1990) Geophysical Research Letters 17: 513. LM Avallone et al. (1995) Geophysical Research Letters 22: 831.
eStevens PS, et al. (1994) Journal of Geophysical Research 99 (D2): 3543.
fGerbig C, et al. (1996) Journal of Geophysical Research 101 (D22): 29229. Holloway JS et al. (2000) Journal of Geophysical Research

105 (D19): 24251.
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known. Calibration uncertainties contribute about
40% to the overall uncertainty, with the remainder
due to errors in sampling and chemical conversion of
the halogen oxides to atoms.

Hydroxyl and Hydroperoxyl Radicals

The hydroxyl radical (OH) is an important chemical
species throughout the atmosphere. In the troposphere
it is the primary oxidant of both natural and
anthropogenic hydrocarbons, leading to the produc-
tion of pollutant ozone. In the stratosphere and
mesosphere, OH is key catalyst of ozone destruction.
Except at the highest altitudes, the concentration of
hydroxyl is so small (about 1�106 molecules cm�3)
that it has been difficult to detect it accurately by direct
means.

A number of techniques exist to quantify hydroxyl,
but most of them suffer from complications, such as
the presence of species that absorb at the same
wavelengths or interfere with chemical conversion
processes. The development of reliable high-power
lasers with output in the near-ultraviolet region of the
spectrum has made possible the sensitive, specific
measurement of OH, particularly in the lower parts of
the atmosphere. Laser-induced fluorescence methods
exploit the rotational and vibrational structures ofOH
by exciting a particular transition (at 282 nm, a
wavelength easily generated with a dye laser) and
detecting the radiation emitted by other transitions at
longer wavelengths, following energy transfer pro-
cesses within the molecule. This method works very
well in the stratosphere, where water vapor abun-
dances are small.However, in the troposphere, oxygen
atoms generated by photolysis of ozone at 282 nm
react with water vapor to create hydroxyl radicals. In
addition, numerous organic species, which are abun-
dant in the troposphere, emit broadband fluorescence
when excited at 282 nm, causing a large, nonspecific
background signal.

Resonance fluorescence detection of hydroxyl rad-
icals in the troposphere (excitation and detection of
radiation at 308 nm) has been successful. By adding
nitric oxide to the instrument, the hydroperoxy radical
(HO2) can be titrated to hydroxyl and thereby
quantified. The light for these measurements is gener-
ated by a dye laser with output in the visible region of
the spectrum. This radiation is frequency-doubled
with a crystal optic into the near-ultraviolet and
directed into a sampling volume. To further minimize
interference from ozone and hydrocarbons, ambient
air is expanded through a supersonic nozzle into this
sampling volume. The low pressure maintained in the
sample region (about 3 hPa) also enhances resonance
fluorescence efficiency by minimizing collisional

quenching of the excited-state OH. Assessment of
the background signal is accomplished by tuning the
laser wavelength on and off the resonance line.

Calibration of the hydroxyl resonance fluorescence
signal is typically carried out by making a known
amount of OH via a titration such as the reaction of
hydrogen atoms with nitrogen dioxide (H1NO2-
OH1NO). Although direct absorption can also be
used, the minimum concentration of OH detectable
(about 1�1012 cm�3) is several orders of magnitude
greater than the atmospheric concentrations. This
does not provide a good constraint on the calibration
factor. The largest uncertainty in the resonance fluo-
rescence technique described here is associated with
the sampling system. Hydroxyl radicals must be
generated in known quantities outside the instrument
and passed through the inlet to assess the effects of
surfaces and of the expansion to low pressure.

Carbon Monoxide

Carbon monoxide, a by-product of hydrocarbon
combustion, is a primary pollutant in the troposphere.
It is present in fairly large abundance, ranging from 20
to 200 parts per billion (concentrations of 5�1010 to
5�1012 molecules cm�3). At these concentrations,
many analytical techniques are available to accurately
and rapidly detectCO, including gas chromatography,
gas filter correlation, and tunable diode laser
spectroscopy. Although not as sensitive as some of
these methods, resonance fluorescence detection
of CO holds some appeal because of its relative
simplicity.

Owing to intramolecular energy transfer, numerous
vibrational bands are stimulated in resonance fluores-
cence of carbon monoxide, all within the first excited
electronic state. As a result, the fluorescence signal
comes not only from the resonantwavelength, but also
from a number of longer wavelengths as well.
These wavelengths, lying between 150 and 170 nm,
are in a spectral region where molecular oxygen
and water have large absorption cross-sections. To
make a viable CO measurement, instruments must
operate at low pressure (less than 10 hPa) to minimize
interference from absorption of resonance radiation
by water vapor and from background due to Raman
scattering by oxygen. Although these effects can be
minimized, they cannot be removed entirely and
therefore they limit the ultimate precision of the
technique.

The accuracy of carbon monoxide measurements
made by resonance fluorescence is generally quite
high. Unlike other species described here, carbon
monoxide is a relatively unreactive compound with a
long lifetime, so that standards can be made and
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maintained in sealed vessels. As a result, carbon
monoxide instruments can be calibrated in the field
during use, leading to better tracking of instrument
changes over time. The ultimate accuracy of a
resonance fluorescence measurement of carbon mon-
oxide is tied to the accuracy with which the concen-
tration of the in-flight standard is known. Laboratory
studies have shown that this value can be established
to better than 10%.

Other Species

Resonance fluorescence is used routinely to detect a
number of other species not described here. For
example, there is commercial instrumentation avail-
able to quantify the amount of elemental mercury
vapor (Hg0) present in the atmosphere. Lidar obser-
vations of sodium atom abundances in themesosphere
are often employed to derive information about upper
atmospheric winds. And remote measurements of
upper stratospheric and mesospheric hydroxyl and
nitric oxide aremade from satellite platforms using the
Sun as a light source.

See also

Lidar: Resonance. Observation Platforms: Balloons;
Rockets. Observations for Chemistry (In Situ):

Chemiluminescent Techniques; Water Vapor Sondes.
Observations for Chemistry (Remote Sensing):
Microwave. Satellite Remote Sensing: Wind, Middle
Atmosphere. Stratospheric Chemistry and
Composition: HOx; Halogen Sources, Anthropogenic;
Hydroxyl Radical. Tropospheric Chemistry and
Composition: Carbon Monoxide; Hydroxyl Radical.
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Introduction

Although water is ubiquitous in the atmosphere, it has
proven very difficult to measure water vapor accu-
rately from theEarth’s surface (where itmay constitute
a few percent of the atmosphere) through to the
stratosphere (where it is typically a few parts per
million by volume (ppmv)). Early intercomparisons of
water vapor measurements in the stratosphere exhib-
ited large discrepancies: see, for example, Figures 9–14
and 9–15 of Atmospheric Ozone 1985 (published by
the WMO and listed in the Further Reading Section).
These figures represented state of the art in situ and
remote water vapor measurements in the early 1980s.
Since then, there has been significant improvement,

but accuracy and precision still constrain conclusions
that can be drawn from the various data sets currently
available. This is of major importance because trends
or variability in water vapor potentially a critical
indicator of global climate change, can only be
determined with instruments maintaining sufficient
accuracy and precision.

Part of the problem lies in the difficulty of validating
in-flight measurements. Some level of validation can
be accomplished by intercomparisonwith instruments
making simultaneous in situ measurements, and lab-
oratory intercomparisons have been carried out.
However, there has been no organized intercompari-
son campaign since the balloon intercomparison
campaign (BIC) in 1983. After a description of the
various water vopor instruments (frost point, photo-
fragment fluorescence, IR absorption, and capacitance
hygrometers), we will illustrate the current state of
their capability in the upper troposphere and lower
stratosphere, using intercomparison data from instru-
ments that are currently the source of most of the
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in situ data in these regions. Ideally, the data would
represent simultaneous measurements by these instru-
ments on the same platform. Because this approach is
available only for a limited number of instruments,
and often only serves to illustrate instrument differ-
ences, we also utilize measurements of ‘total water’
(i.e., H2O12CH4,) as an evaluation tool for water
vapor measurements. This approach, which requires
sampling stratospheric air old enough to ensure that
the seasonal cycle of water has been damped out, has
been most recently and thoroughly used by Hurst and
colleagues in an analysis of in situ ER-2 data. While
this requires the use of methane data and the uncer-
tainties that gowith it, in general these are on the order
of 0.2 ppmv or less, and accordingly have only a
limited effect on the total water measurement.

Instruments

Frost Point Hygrometers

Most conventional frost-point hygrometers use a
chilled-mirror technique, in which a layer of frost is
formed on the surface of a small mirror in contactwith
ambient air. Light scattered from the frost layer is
detected optically, with the frost point defined as the
temperature at which the frost layer is formed and
maintained on the mirror surface. The frost point
temperature provides the measured water vapor con-
centration from the experimentally determined vapor
pressure of water over ice. The accuracy of this
technique depends on the ability to measure the
temperature of the mirror when the amount of
condensate is held at a constant level or at a transition
where the temperature varies either along the mirror
surface or with time. Errors in temperature can arise
from calibration errors; from errors based on temper-
ature gradients between the frost layer and the sensor;
and from the possibility that the actual condensation

temperature is not the frost point temperature,
because the condensation temperature is either raised
by atmospheric impurities or lowered by mechanisms
requiring some degree of supersaturation. Errors can
also occur when the frost point is converted to mixing
ratio using the measured ambient temperature and
pressure. Finally, as with any instrument used to
measure the ambient mixing ratio of a molecule,
systematic errors can be caused by inadequate care in
transporting the ambient air sample to the detector.

The current versions of all the instruments described
below sense light reflected off the condensate, using a
feedback loop to control the mirror temperature and
maintain a constant ice layer on the mirror. Table 1
summarizes the instrument specifications, including
themethod of controlling themirror temperature. The
accuracy that is typically quoted refers only to the frost
point temperature, and does not take into account the
errors in ambient pressure and temperature required
to determine water vapor mixing ratios.

The NOAA-CMDL and NRL frost-point hygrome-
ters The cryogenic frost-point hygrometers used at
NOAA/CMDLwere originally developed at theNaval
Research Laboratory in Washington DC and have
provided a long history of water vapor profiles. The
current version of the balloon-borne frost-point
hygrometer has been used with only minor modifica-
tions since 1980, and has an overall accuracy of about
10% in mixing ratio. The vertical resolution is mainly
determined by the response time of the instrument,
which is typically between 10 and 30 seconds for most
of the region of interest.

Ambient air is drawn in at about 3 liters s�1 through
a clean 18 cm long stainless-steel tube, designed to
eliminate contamination from both the tube and the
frost point instrument itself. In addition, data are
taken during descent to avoid contamination from
water vapor that is carried on and outgassed by the

Table 1 Frost point instruments with their respective platforms, quoted accuracy, precision, and technique for thermal control of the

mirror. An accuracy of 0.51C corresponds to 7.7% at 200K and 6.3% at 220K

Instrument Platform Cryogen/heat transfer

method

Mirror temperature

measurement

Accuracy (1C) Precision (1C)

NOAA-CMDL Radiosonde LN2/copper rod with

resistance heater

Calibrated thermistors 0.5

LMD-CNRS Falcon LN2/copper rod with

resistance heater

Calibrated platinum resistance

thermometer

0.3 0.05

LMD-CNRS Open stratospheric

balloon

LN2/copper rod with

resistance heater

Calibrated platinum resistance

thermometer

0.3 0.05

LMD-CNRS MIR Peltier device Calibrated platinum resistance

thermometer

0.5 0.1

Buck CR-1 Falcon LN2/copper rod with

resistance heater

Ultrastable bead thermistor 0.3
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balloon material. Periodically during the flight, the
mirror temperature is raised to remove some of the
condensate and check that when under servo control
the system returns to the same frost point temperature.
A laboratory version of the instrument equipped with
the same thermal, optical, and electronic components
as a flight hygrometer has been used in extensive
laboratory intercomparisons.

The LMD-CNRS frost-point hygrometers Frost
point hygrometers have been developed at the Labor-
atoire de Météorologie Dynamique du CNRS (LMD-
CNRS) for use on aircraft, traditional balloon-borne
payloads, and long duration (MIR, Infra Red Mont-
golfier) balloon-borne payloads. The principle of
operation of the three versions is the same, with
differences only in how the frost point temperature is
controlled and how air is brought to the mirror
surface. Calibration and tests of the instruments are
madewith a system that allows the generation of frost-
point temperatures down to –901C, from 1000 hPa to
20 hPa, simulating conditions encountered during
balloon and aircraft flights. Comparisons between the
frost point produced by the calibration device and the
corresponding frost point measured by the flight
hygrometer typically agree to within the precision of
the hygrometer.

The thermoelectric hygrometer was first developed
for long-duration MIR balloons. The time response is
about 100 s in themiddle stratosphere. The frost-point
temperature range is � 50 to � 951C. This instrument
was also used on open stratospheric balloons, for
single profiles, before 1994. Since then, the perform-
ance of this instrument has been improved to be almost
equivalent, in the stratosphere, to the cryogenic
instrument developed for open stratospheric balloons.
The response time of this instrument depends on the
frost point: the lower the frost point, the higher the
response time, from about 20 s in the upper strato-
sphere to about 10 s in the upper troposphere. The
frost point temperature range is � 10 to � 951C. The
aircraft version of the instrument is functionally the
same as the open stratospheric balloon version.
During aircraft flights on the DLR Falcon (maximum
altitude: 13 km), ambient air is ram-fed into the
instrument through an inlet on the aircraft fuselage
(a modified Rosemount temperature housing) that
discriminates against particles. To prevent contami-
nation from dense low-level clouds, the air inlet is
opened after a few kilometers on ascent.

Buck Research CR-1 hygrometer The Buck CR-1
Research hygrometer has been designed for aircraft
use and has flown on the Falcon 20E twin-engine jet
aircraft since 1991. The instrument is similar to the

LMD aircraft instrument, using a Rosemount temper-
ature housing as the inlet. The sensing chamber is
specifically designed to promote smooth flow from the
aircraft inlet.

Photofragment Fluorescence

Principle of operation In the photofragment fluores-
cence technique, water vapor is dissociated
with vacuum ultraviolet (VUV) radiation, typically
Lyman-a (La; 121.6 nm). Some of the OH photofrag-
ments are formed in their first excited electronic state,
and their fluorescence near 310 nm is monitored to
determine water vapor. Because most of the excited-
state OH radicals are quenched by collisions with air
molecules at a rate proportional to air density, in the
troposphere and lower stratosphere the fluorescence is
directly proportional to the mixing ratio. At higher
altitudes, the quenching must be accounted for
explicitly. The keys to this method are a sufficiently
bright and stable VUV light source; accurate meas-
urements of the VUV intensity; delivery of uncon-
taminated ambient air to the detector; rejection by the
detector of background UV radiation (290–350 nm)
from the Sun and the lamp; and accurate calibration of
the instrument. When these criteria are met, photo-
fragment fluorescence can provide accurate and pre-
cise measurements of water vapor from the middle
troposphere to over 30 km with time resolution of a
few seconds or better. Calibration typically involves
empirically determining a quantitative relationship
between fluorescence counts and known water vapor
mixing ratios over a range of temperatures and
pressures suitable for atmospheric measurements.
While most calibrations are performed in the labora-
tory, for some instruments, in-flight calibrations are
performed as well.

NOAA Aeronomy Laboratory photofragment hy-
grometer One of the earliest successful La instru-
ments was developed at the NOAAAeronomy Lab by
Kley and Stone, and has been used on both balloons
and aircraft. AVUV hydrogen lamp photodissociates
water vapor in a chamber with ambient air flowing
through it, and the fluorescence is detected at right
angles with a photomultiplier tube. Baffles and optical
filters are used to reduce scatter and improve signal-to-
noise ratio. In the most recent (aircraft) version, air is
sampled through a forward-facing inlet with ram
pressure providing the flow, then travels through
heated tubing to the detection region, which is housed
in a cube of black glass. The lamp uses a DC discharge
to excite hydrogen and produce 121.6 nm radiation
that is monitored by being periodically deflected by a
mirror to an NO photoionization cell. The cell is at a
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total distance from the lamp equal to the distance
between the lamp and the detection region. Because
ambient air is circulated throughout this volume,
atmospheric absorption effects between the lamp and
the detection region cancel out.

The instrument is calibrated in flight by adding a
flow of wet air to the ambient air. The high concen-
trations of water vapor are measured by absorption of
La radiation using themirror and photoionization cell.
This is compared to the fluorescence signal under the
same conditions to determine the calibration.

Harvard University photofragment hygrometer The
Harvard La instrument is similar in that 121.6 nm
radiation from a radiofrequency discharge lamp pho-
todissociates water vapor and the OH fluorescence at
B315 nm is collected at right angles through a filter
and detected with a photomultiplier tube (PMT).
However, air is sampled through a 76mm square duct
in the nose of the aircraft, with flow velocities of
typically 30–70m s�1 for fast time response and to
avoid contamination fromwalls. The lamp intensity is
monitored with a vacuum photodiode opposite the
lamp to normalize the fluorescence signal. A magne-
sium fluoride (MgF2) mirror surrounding the diode
reflects some of the radiation back across the duct to a
second diode, allowing water measurements by direct
absorption in the mid to upper troposphere.

The instrument is calibrated in the laboratory by
flowing known amounts of water vapor in air through
the detection axis. The air–water mixtures are pre-
pared by diluting saturated air with dry air, with their
concentrations verified by direct absorption. The
calibration is checked in flight by comparing La

photofragment fluorescence with direct absorption
measurements of water vapor on ascent and descent,
similar to the method of Kley et al. This approach uses
the atmosphere to provide a wide range of H2O
concentrations, and has shown that the measurement
accuracy is 5%.

FISH instruments A new set of La instruments has
been developed in Jülich, known as the Fast In Situ
Hygrometer, or FISH. It is similar to the NOAA
instrument but is modular to allow flexible deploy-
ment on different aircraft. Two NO photoionization
VUV detectors are used, one across from the lamp to
monitor the VUV lamp intensity, the other at right
angles to the lamp. Amirror is used alternately in three
positions to let all the radiation into the fluorescence
cell; to reflect the La radiation into the second VUV
detector; and to block the La beam completely but
allow radiation at other wavelengths into the fluores-
cence cell. This allows detection of water vapor by
photofragment fluorescence, and at high concentra-

tions by absorption; determination of the lamp VUV
output by the second detector (at an equal distance
from the lamp as the detection region, similarly to the
NOAA design); and determination of the total back-
ground in the fluorescence cell. The fluorescence cell is
made of black glass mounted in a larger stainless-steel
cell to avoid both scattered light and outgassing from
dead volumes. The system has flown on both aircraft
and balloons; the stated accuracy of the present design
is 0.2 ppmv with a response time of 1 s.

Hygrosonde An interesting extension of the photo-
fragment fluorescence technique was demonstrated
withHygrosonde, for rocket soundings ofwater vapor
up to 70 km. In this instrument, a DC-driven Lyman-a
lamp in the nose of the rocket excites water vapor.
Fluorescence forward of the shock front is collected by
a quartz doublet lens concentric about the lamp, and is
detected with a bialkali cathode. The open design of
the sonde, to prevent contamination, requires it to be
launched at night. The lamp is modulated at 1 kHz to
discriminate against nightglow and moonlight.

IR Absorption

Principle of operation The coupling of infrared
lasers with multipass absorption cells has provided
the capability of direct absorption measurements via
Beer’s Law of water vapor in the lower stratosphere.
Aircraft-borne instruments have been developed with
absorption paths either within a cell or external to the
aircraft. An external cell has the advantage of virtually
eliminating contamination issues but requires ambient
temperature and pressure measurements and removes
the possibility of a reference cell for in-flight calibra-
tion. An internal cell has the disadvantage of potential
surface contamination as well as contributions from
particle evaporation if the air stream is heated and
residence times are sufficiently long. For either ap-
proach, to quantitativelymeasure the concentration of
an absorbing species typically requires a measurement
of the signal strength with andwithout the presence of
the absorber. However, when using tunable lasers for
the light source, tuning the laser frequency on and off
the narrow absorption feature provides the necessary
null experiment.

JPL laser hygrometer The JPL laser hygrometer
utilizes a 1:37mm tunable diode laser coupled into a
multipass Herriot cell (11.2m pathlength) mounted
externally to the aircraft. The detector is located in an
evacuated housing also external to the aircraft and the
short (o1 cm)path length in this housing ismaintained
at a pressureo10�6 hPa to eliminate spurious absorp-
tion. Absorption is carried out by scanning the laser at
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a 10Hz repetition rate through a 2 cm�1 spectral
region that includes the 7294.1 cm�1 water vapor
absorption line. Second-harmonic detection is utilized
for signal enhancement by adding a small-amplitude
sinusoidal waveform at a frequency of 10 kHz to the
laser current and the detector signal is demodulated at
20 kHz to produce a second-harmonic spectrum.

Uncertainties in several independent parameters can
cause pressure- and temperature dependent errors that
are difficult to quantify at the few percent level in a
second-harmonic spectrometer. The most important
of these parameters are the air-broadening coefficient
and its dependence on temperature, the exact value for
the laser modulation amplitude, and the detailed
behavior of the electronic signal demodulator with
respect to noise generated by the laser. Analytical
laboratory calibrations are therefore used to derive a
correction curve to the data by referencing the laser
hygrometer output to a laboratory standard (here, a
NIST-traceable chilled mirror hygrometer from Gen-
eral Eastern). Measurements are made over wide
ranges in temperature and pressure to map out the
instrument response. The instrument has a quoted
precision of 70.05 ppmv for a 2-second integration
period. For the POLARIS ER-2 flights, the final
accuracy in the measurements depended on pressure
andwas estimated at 5% for pressureso100 hPa, 8%
for pressures 100–200 hPa, and 10% for pressures
4200 hPa.

NASA Langley Diode Laser Hygrometer The LaRC
(NASA Langley) Diode Laser Hygrometer (DLH) has
been developed for deployment on the NASA DC-8
research aircraft for tropospheric field campaigns. It
detects water vapor via differential absorption using
a strong, isolated line at 7139.1 cm�1 during dry
conditions (altitudes 43km) or a weaker line at
7133.9 cm�1 for altitudes o3km.The DLH is com-
posed of a compact laser transceiver mounted to an
aircraft window plate and a sheet of high-grade
retroreflecting material that is applied to an outboard
engine housing. Gas-phase H2O is sensed along this
28.5m external path and is determined on the basis of
the differential absorption signal magnitude, ambient
pressure and temperature, and spectroscopic param-
eters that are measured in the laboratory. The preci-
sion of the instrument is 2% of the mixing ratio, with
an estimated accuracy of 10% for water vapor
4100 ppmv, equivalent to an uncertainty of B1K.
Data are sampled at B20Hz, and archived at
1Hz.The instrument has participated in the TOTE/
VOTE, SUCCESS, and SONEX missions, all aboard
the NASA DC-8. An intercomparison showed it to be
10% higher than a frost point (Ovarlez) hygrometer,
part of which could be accounted for by outgassing of

water in a volume that is part of the internal optical
path.

MOZAIC—A Research Grade Capacitance
Hygrometer

While capacitive sensors have long been used for
operational measurement of humidity from the
ground to the middle troposphere, their accuracy
and response time have limited their utility above
300 hPA. Accordingly, their use on aircraft in the
middle to upper troposphere requires a stable sensor
and careful laboratory calibrations. The MOZAIC
program was developed to take advantage of in-
service passenger aircraft to provide frequent ozone
and water vapor measurements in the upper tropo-
sphere and lower stratosphere with broad geographic
coverage. The program utilizes a Väisälä Humicap-H
hygristor mounted within a Rosemount 102 de-iced
and aspirated aircraft inlet to measure relative humid-
ity, with a platinum resistance sensor to measure
temperature. A correction is made for changes in air
temperature caused by adiabatic compression and
heat loss when calculating ambient humidity.

Each MOZAIC humidity sensor is calibrated in the
laboratory before installation and after 500 hours of
flight operation, using an environmental simulation
chamber. Frost point temperatures down to � 701C
can be reached. Based on preflight and postflight
calibrations, the uncertainty ranges from 77% RH
at � 551C (E13 km) down to 74% RH at � 401C
(E10 km). At lower altitudes, for ambient tempera-
tures ranging between � 401C (E9 km) and � 201C
(E6km), the uncertainty is within 7(4–6)% RH,
increasing near ground level to 78% RH.

Data Intercomparisons

Most of the instruments described above have either
participated in in-flight intercomparisons or have data
that can be intercompared because of temporal and
spatial overlap of the respective flights. We present
here intercomparisons only between instruments de-
scribed in this article. These intercomparisons, a
subset of those published in chapter 2 of the SPARC
Assessment of Upper Tropospheric and Stratospheric
Water Vapor, illustrate significant systematic differ-
ences among the instruments responsible for most of
the in situ stratospheric water vapor data. Figures 1 to
3 illustrate intercomparison data taken simultaneous-
ly on the same platform between pairs of instruments,
where there can be no ambiguity regarding the
sampled air mass in each case. Taken together, they
illustrate a consistent picture with the Harvard
Lyman-a and JPL infrared absorption instruments,
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both measuring about 15% higher than the
NOAA Lyman-a instrument in the stratosphere.
The Harvard Lyman-a and JPL infrared absorption
intercomparison shows a pressure dependent differ-
ence that is discussed by Hintsa et al. (see Further
Reading).

During the 1980s, the NOAA CMDL frost
point hygrometer and the NOAA Lyman-a hygrom-
eter flew on separate balloonswith eight opportunities
for data intercomparisons. While the Lyman-a
measured on average about 15–20% higher in the
stratosphere, as illustrated in Figure 4, this does not
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necessarily represent the relative difference between
the aircraft versions of the Lyman-a and the frost point
hygrometers. While the Lyman-a detection technique
is the same on both platforms, both the transport of
ambient air to the respective detection axes and the

details of the in-flight calibration methods are
different.

DuringMay 1999, the LMD frost point hygrometer
and the FISH Lyman-a hygrometer flew on separate
balloons about 60 hours apart. While this intercom-
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parison, illustrated in Figure 5 showed general agree-
ment to better than 10% in the lower stratosphere and
upper troposphere, the results of a single intercom-
parison like this cannot be weighted too heavily.

As reported by Helten and colleagues, two inter-
comparison flights took place inMarch 1995 with the
MOZAIC, FISH, and Buck CR-1 instruments on the
Falcon E aircraft. These results showed thatMOZAIC
has about a 5% dry bias relative to the other two
instruments, which typically exhibit agreement to
better than 3% relative humidity in the middle
troposphere.

Total Water (H2O12CH4) in the Stratosphere

It has been shown that when stratospheric air is
‘old’ enough (CH4o1.3 ppmv), water 12CH4 is
conserved, with a plot of water versus methane
exhibiting a slope of � 2, consistent with a yield of 2
water molecules for each molecule of methane oxi-
dized. This yield is valid because H2, which is a part of

the stratospheric water vapor budget, remains effec-
tively fixed in the stratosphere at about 0.5 ppmv.
Accordingly, while simultaneous measurements of H2

are helpful for validating that the sumofwater12CH4

remains fixed in the stratosphere in old air, it is safe to
compare total water measurements and determine the
annual average water vapor entering the stratosphere.
Table 2 contains mean values of total water as well as
DH2O=DCH4. The tabulated data show that there can
be cases where themean total water value is consistent
with other measurements but DH2O=DCH4 is signif-
icantly different from � 2, indicative of a systematic
error in the measurement of water vapor or methane,
or that the air hasmaintained some seasonal character.

Conclusions

While the need for accurate measurements of strato-
spheric and upper tropospheric water vapor has
been clearly and convincingly delineated in recent
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Jülich Lyman-a hygrometer (open circles, 3 May 1999) at 441N. (Figure kindly supplied by Karen Rosenlof, NOAA.)

Table2 ComparisonofDH2O=DCH4, annualmean (H2O12CH4), andannualmeanstratosphericwater vaporentry valuesderived from

in situmeasurements of water vapor and methane

Campaign H2O data CH4 data DH2O=DCH4 H2Oentry Mean (H2O12CH4)

SPADE NOAA ACATS � 1.2670.13 3.63 7.0370.49

SPADE NOAA ALIAS � 1.4370.11 3.47 6.8770.64

SPADE Harvard ACATS � 1.8470.14 4.35 7.7570.44

SPADE Harvard ALIAS � 2.0470.16 4.15 7.5570.59

STRAT&POLARIS Harvard ACATS � 1.9570.15 4.11 7.5170.47

STRAT&POLARIS Harvard ALIAS � 2.0170.16 4.08 7.4870.56

POLARIS JPL ACATS � 2.0570.17 4.01 7.4170.49

POLARIS JPL ALIAS � 2.2770.17 4.02 7.4270.59

EASOE LMD KFA � 1.8270.21 3.51 6.9170.41

Mid-latitude balloon FISH KFA � 2.1070.83 3.77 7.1770.62
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monographs and conferences, measurement accuracy
has yet tomeet the challenge. Currently, no state of the
art research instrument has demonstrated beyond a
reasonable doubt either an accuracy or long-term
precision of 5% or better. Correcting this unsatisfac-
tory state of affairs requires a serious effort from the
community, not only in setting the appropriate
requirements but funding the effort and planning
and providing opportunities for blind intercompari-
sons to test and evaluate improved instrumentation.

Glossary

BIC Ballon Intercomparison Campaign
CMDL Climate Monitoring and Diagnostics Labo-
ratory

POLARIS Photochemistry of Ozone Loss in the
Arctic Region in Summer

TOTE/VOTE Tropical Ozone Transport Experi-
ment/Vortex Ozone Transport Experiment

SUCCESS Subsonic Aricraft: Contrail and Cloud
Effects Special Study

MOZAIC Measurement of Ozone by Airbus In-
service Aircraft

SPARC Stratospheric Processes and their Role in
Climate

FISH Fast In Situ Hygrometer
SPADE Stratospheric Photochemistry, Aerosols, and
Dynamics Expedition

STRAT Stratospheric Tracers of Atmospheric Trans-
port

EASOE EuropeanArctic Stratospheric Ozone Experi-
ment

See also

Lidar: DIAL. Observations for Chemistry (In Situ):
Resonance Fluorescence.Observations for Chemistry
(Remote Sensing): IR/FIR. Radiative Transfer: Ab-
sorption and Thermal Emission. Satellite Remote Sens-
ing: Water Vapor. Stratospheric Chemistry and
Composition: Hydrogen Budget.
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Introduction

Passive remote sensing of the atmosphere by analyzing
the ubiquitous infrared radiation field offers the
possibility to measure a wide variety of atmospheric
parameters simultaneously. Large sampling volumes
can be investigated and, in the case of spaceborne
instruments, a considerable fraction of the global
atmosphere can be observed during one day.

The impact of the sampling volume on the radiation
field depends on its density, its temperature and on its
chemical composition. The volume may also contain
aerosols, which change the radiation depending on
their optical properties allowing inferences to be
drawn on the chemical composition and the volume
distribution of the particles.

By offering such a wide set of observables, passive
remote sensing in the infrared spectral domain con-
tributes significantly to many key problems of atmos-
pheric research. The observed global fields of various

trace gases help to improve the understanding of
physical and chemical processes. In the case of
stratospheric ozone depletion, the simultaneous ob-
servation of ozone together with many of the ozone-
related species places important constraints on under-
standing as expressed in chemical transport models.
The considerable time since the invention of the
method (ground-based atmospheric measurements
started in the 1940s) has allowed monitoring of the
chemical evolution of the atmosphere in response to
natural and anthropogenic influences. Spectrally re-
solved measurements of the global infrared flux
upwelling from the top of the atmosphere supply
important information concerning the Earth’s radia-
tion budget and its drivers, such as temperature
structure, distribution of water vapor, and various
types of clouds.

This article is organized in the following way: First,
we sketch the origin of the spectroscopic features
observable in the infrared spectral region, and describe
radiative transfer in the atmosphere. Next, the geo-
metric aspects of the observation are outlined. In the
following section, the various experimental methods
for probing the radiation field are introduced, includ-
ing their spectral coverage and resolution, differing by
orders of magnitude. Since the sensor has to be
adapted carefully to the requirements defined by the
desired data and their accuracy, the problem of
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analyzing themeasured radiances is at the very heart of
remote sensing experiments. A further section is
devoted to the fundamentals of this analysis proce-
dure. Finally, we present some examples of remote
sensing experiments together with illustrative results.

Spectroscopic Features

The photon energies in the infrared and far-infrared
spectral regions correspond to energies involved in
rovibrational and pure rotational transitions of mol-
ecules, respectively. Observations with sufficient spec-
tral resolution reveal the complexity of atmospheric
infrared spectra, the molecular signatures comparable
to unique fingerprints of the corresponding constitu-
ents. Not all molecules interact with the infrared
radiation field. Only those with a permanent electric
dipole moment can efficiently serve as an ‘antenna’
when rotating, and only those with a variable electric
dipole moment that is correlated with the displace-
ments of the atomic constituents do sowhen vibrating.
In the case of the prevalent molecular constituents, the
interaction of a magnetic dipole or an electric quad-
rupole with the radiation field can also be important.

In the framework of quantum mechanics, the
spectral positions of the spectral lines are determined
by the energy differences between discrete eigenstates
of the molecule, which are designated by a set of
quantum numbers. The resulting line strength is
determined by the transition probability between the
states involved, and by the fraction of molecules
populating the initial level. In the spectra of simple

molecules with a high degree of symmetry and
consisting of only a few atoms, the rotational lines
can be resolved, whereas complex molecules show
broadband features, with the underlying structure not
resolvable, because the spacing between the lines is
narrower than the width of individual lines. In any
case, the spectral signatures are highly characteristic,
and the concentration of each species in a mixture of
gases can be deduced unambiguously from spectra of
sufficient spectral resolution. Since the moments of
inertia as well as the effective masses involved depend
on the atomic masses, the spectral features of
isotopomers are characteristic and thus they too can
be discerned by infrared and far-infrared remote
sensing. Figure 1 shows a measured atmospheric
spectrum from 700 to 970 cm�1.

The spectral characteristics of aerosols, cloud
droplets, and ice particles do not show isolated lines.
Instead, broadband spectral features are observed as a
result of the overwhelmingly large number of
interacting molecules involved. The resulting
emission, absorption, and scattering characteristics
dependon size, composition, shape, and orientation of
the particle. This does not mean that all these
properties are recoverable by remote sensing of
an ensemble of particles in the atmosphere. However,
if strongly simplifying assumptions are made
(parameterized size distribution, homogeneity, and
sphericity in the case of solid particles), then the
chemical composition, the mean size, and the total
volume of the observed particles can be deduced to
some extent.
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Atmospheric Radiative Transfer

To relate the observed infrared radiances to the state of
the atmosphere, the modeling of the radiative transfer
is of crucial importance. First, the raypath through
the atmosphere has to be determined, as it is bent
according to the local density (and water vapor)
gradient. The spectrum observed at a chosen location
and along a chosen line of sight depends on the
radiance of a background source (e.g., the Sun, the
ground), if present, and on the emission, absorption,
and scattering in each atmospheric element along the
raypath to the observer. If scattering of radiation into
the line of sight can be neglected as valid in the infrared
in the absence of clouds and aerosols, these contribu-
tions depend solely on local properties of each
atmospheric path element.

Besides temperature, the pressure has a strong
impact on the radiative transfer through an atmos-
pheric element of given partial column. Frequent
collisions disturb the molecule during the transition,
which leads to a pressure-broadening of each spectral
line. At higher altitudes, the linewidth is dominated by
the Doppler broadening associated with the thermal
motions of the molecules. Since the Doppler width is
proportional to the frequency of the line, the boundary
between the pressure-broadening and Doppler-broad-
ening height regime increases from about 20 km in the
near-infrared to about 60 km in the far-infrared
region.

According to the assumption of local thermody-
namic equilibrium (LTE), the emission and absorption
characteristics of each atmospheric element are fully
specified by chemical composition, partial pressures
and a single thermodynamic variable, the tempera-
ture. If the population of an energy level involved in a
transition deviates from the Boltzmann distribution
determined by the temperature of the atmospheric
element (e.g., owing to chemical reactions or to
interaction with energetic solar photons), so-called
non-LTE conditions apply for this transition. This is
most likely to occur at high altitudes, where the mean
free path is large.

If the impact of aerosols cannot be neglected, the
calculation of the resulting spectrum may be compli-
cated tremendously. If scattering by the particles into
the line of sight is neglected, the particles are treated
formally as a further absorbing and emitting compo-
nent in the air parcel. The total extinction cross-
section of the particles is used for the calculation of an
approximate optical thickness. In a more refined
approximation, photons scattered into the line of
sight are taken into account, but it is assumed that
multiple encounters of a given photon with aerosols
can be neglected. This requires the calculation of

radiances from all representative directions at the
position of the air parcel. Ifmultiple scattering is taken
into account, the resulting radiances and the aerosol
distribution become intimately related, and the ra-
diative transfer calculation needs to be performed in
an iterativemanner or by usingMonte Carlomethods.

Without scattering and under LTE conditions, the
radiative transfer equation is eqn [1].

Ln;O ¼Ln;S exp �dn xO; xSð Þð Þ

þ
Z xS

~xx¼xO

kn ~xxð ÞBn T ~xxð Þð Þ exp �dn xO; ~xxð Þð Þ d~xx

½1�

In eqn [1], Ln;O is the radiance (W/(m2 sr cm�1))
detected by an observer located at xO; Ln;S is the
radiance of the background source located atxS;Bn Tð Þ
is the radiance emitted by black body source of
temperature T; kn is the absorption coefficient (m�1);
x is the coordinate along the curved path determined
by the line-of-sight, directed from the observer to the
source xOoxSð Þ mð Þ; and dn x1; x2ð Þ ¼ R x2x¼x1

kn xð Þdx
optical thickness between locations x1 and x2.

Figure 2 shows calculated atmospheric spectra for a
spectral interval extending from 783 to 789 cm�1 in
the mid-infrared region. According to the radiative
transfer equation, the character of the resulting spectra
depends on the location of the observer, the line-of-
sight, and the temperature of a background source, if
present.

Modes of Observation

The observer can choose the spectral resolution,
location, and line-of-sight of the instrument according
to the scientific aims and the justifiable expenditure.
Figure 3 shows some possible modes of observation.

A ground-based instrument can be used to observe
the atmosphere in emission or absorption (in the latter
case the Sun or the Moon serves as the background
source). In the far-infrared region, ground-based
observations are impossible, since the atmosphere is
far too opaque owing to the strong absorption by
water vapor. In the infrared, ground-based observa-
tions in emission suffer from the fact that, owing to the
number density and temperature stratification of the
atmosphere, the observed signal stemsmainly from the
lowermost layers of the atmosphere. Therefore, only a
few kilometers above the instrument can be investi-
gated by this method. Ground-based observations
in absorption with high spectral resolution are in
wide use for monitoring of trace gases in the free
troposphere and stratosphere, but are also applied to
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Figure 2 Calculated atmospheric spectra in the same spectral interval for various observational modes. (A) A ground-based solar

absorption spectrum. Some of themost striking features are labeled. All narrow absorption lines belong to O3; the strong H2O line around

784.5 cm�1 is completely opaque. (B) The spectrum emitted by the atmosphere as observed from the ground. The spectral features now

appear in emission and theO3 signatures are strongly damped. The saturatedH2O line around 784.5 cm�1 reaches the limiting black body

radianceof the atmospheric temperature near ground. (C)Anadir spectrumaccording to the view fromasatellite. Thewarmergroundacts

as a background source, so the spectral features appear in absorption. Note the changed ordinate scale and the poor contrast between

lines and continuum in (B) and (C) as compared to (A). This occurs because the temperatures involved are not so different as in case (A),

where the hot Sun outshines the atmospheric emission. (D) A limb spectrum for a tangent height of 20 km. The emission of stratospheric

O3 dominates, whereas the strong H2O feature seen in (A)–(C) is not detectable, owing to the low amount of H2O in the stratosphere.
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Figure 3 Some examples of remote sensing geometries. For details see text.
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local environmental studies such as plume observa-
tions.

An airborne instrument can be operated on an
aircraft or a balloon. The observations may be per-
formed in absorption or emission. Whereas balloon-
borne experiments reach heights of 40 km, even high-
altitude aircraft are limited to ceilings of about 20 km.
A balloon offers in principle the possibility of long-
duration flights. On the other hand, an airplane can
probe extended atmospheric regions along a prese-
lected flight track. The location of the sensor on an
airborne platform permits upward-directed, down-
ward-directed, or tangential lines of sight. Limb
measurements, either by sounding different tangent
heights in emission or by observing the rising or setting
Sun near the horizon, allow the determination of
vertical profiles with considerable vertical resolution
below the flight level. Nadir sounding offers high
lateral resolution but poor vertical resolution, since
this information has to be deduced from the combi-
nation of various spectral intervals with different
optical thicknesses, with their contributions to the
observed radiances peaking at different height levels.
Upward-directed observations froma given flight level
have to rely mainly on the pressure broadening and
temperature dependence of spectral lines to deduce the
vertical distribution of the investigated species, as in
the case of ground-based measurements; an exception
is upward sensing during ascent or descent.

A satellite-borne instrument offers global coverage
and continuous operation over several years. The
observations are performed in limb emission, nadir, or
solar occultation mode during sunset and sunrise. The
orbits range from heights of several hundred kilome-
ters with orbital periods of about 1.5 hours to
geostationary orbits. The oblateness of the Earth can
beused to introduce a precessionof the inclinedorbital
plane of the satellite, so that, for example, a Sun-
synchronous orbit can be achieved. In the case of solar
occultation, the number of observations and their
distribution in local time and latitude are quite
restricted. Limb sounding and occultation observa-
tions offer the best sensitivity because of the large
effective path lengths probed, but are essentially
restricted to tangent heights where the spectral signa-
tures under investigation are not saturated and to lines
of sight that are free from clouds. Nadir sounding is
preferable for the investigation of the troposphere,
since the impact of clouds is minimized.

Instrumental Techniques

Various experimental devices are in use to measure
atmospheric radiances. If a quite low spectral resolu-

tion is sufficient, spectral windows can be defined
simply by using an arrangement of optical bandpass
filters and/or dichroics. Modern infrared filters com-
bine the transmission properties of substrate materials
with the Fabry–Perot-like transmission characteristics
of a multilayer coating to adjust the desired bandpass.
Filters may show some leakage outside the intended
spectral interval and may undergo aging effects, their
optical properties not being fully stable.

If higher spectral resolving power is needed, grating
spectrometers may be favorable. The simplest form is
the monochromator, with a single detector element
scanning the spectrum sequentially. The grating spec-
trometer has gained considerable attraction owing to
the increasing availability of detector arrays in the
near-infrared and mid-infrared spectral regions.

The Fourier transform spectrometer generates in-
tensity modulation by varying the optical path differ-
ence in a two-beam interferometer. The Fourier
transformof themodulated signal yields the spectrum.
This technique is capable of attaching a very high
spectral resolution and wide spectral coverage, but is
interesting also in the case of moderate and low
spectral resolving power, because it offers high
throughput and compact design. Figure 4 shows the
Fourier transform spectrometer MIPAS-B. If the
detector noise exceeds the noise associated with the
statistics of the incoming photons (most of these may
emerge from the instrument itself), the Fourier spec-
trometer is advantageous over the monochromator,
because all spectral elements are measured at the same
time. The increasing availability of detector arrays
leads to novel approaches in the design of Fourier
transform spectrometers.

Fabry–Perot etalons are optical resonators. They
combine very high spectral resolution with compact
size, but are not in wide use because the mechanical
and optical tolerances are very demanding, the neces-
sary high reflectivity of the optical resonator is
achievable only in quite restrictedwavelength regions,
and the periodic transmission characteristics make
additional filtering necessary, either by the use of filters
and stages of several etalons or by predispersing
gratings.

Gas correlation techniques use the characteristic
absorption properties of each gas for its detection: The
spectral selection is achieved bya cell filledwith the gas
under consideration. This cell acts as a highly specific
filter for the atmospheric signal. During the measure-
ment, the transmission of the gas probe is modulated
by changing the pressure or the path length of the cell.
The measured modulation around the average signal
level allows deduction of the concentration of the gas
in the atmosphere. The technique is restricted to a
small set of gases with dominant spectral features over
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a considerable wavelength interval, otherwise it suf-
fers from unacceptable cross-sensitivity to the varia-
bility of other species with overlapping spectral
features.

In case of the heterodyne detection technique, the
signal of a local oscillator is superimposed on the
incoming radiation in a mixing element with a
nonlinear response, and a signal oscillating with the
beat frequency is generated. The contributions of two
symmetrical sidebands above and below the local
oscillator frequency are superimposed by this opera-
tion, and the undesired sideband can be suppressed by
additional filtering before mixing. The signal at the
beat frequency is amplified and spectrally analyzed.
The technique can reach exceedingly high spectral
resolution, but the spectral coverage is considerably
limited. Heterodyne instruments are planned to be
realized for frequencies up to the middle infrared
region.

The Inverse Problem

In remote sensing, the atmospheric variables to be
deduced from the measurements are related indirectly
to the observed radiances, so that an inverse problem
has to be solved. Since the radiative transfer in the
atmosphere cannot be solved analytically, the analysis
relies on the comparison between measured and
computed radiances. A radiative transfer code is
required to model the radiances and their derivatives
with respect to the wanted variables. The radiative
transfer equation (eqn [1]) can be linearized around
the current values for the variables, and together with
the spectral discretization introduced by the measure-

ment process, this allows methods of linear algebra to
be applied.

The information content of the measurement might
be insufficient to avoid the propagation of some
a priori assumptions on the solution. In some circum-
stances, the impact of these a priori assumptions on the
solution can be profound. If, e.g. the vertical resolu-
tion of remotely sensed data is quite poor, a trace gas
profile deduced from these data cannot be directly
compared with a profile measured in situ. An appro-
priate smoothing has to be applied to the in situ
measurement before the intercomparison can be
performed.

If the desired variables are not determined un-
ambigously by themeasurement, the solution given by
an unconstrained least-squares fit is useless. For
illustration, imagine that the elements of the solution
vector describe a trace gas profile. If slight changes in
the measurement vector lead to tremendous oscilla-
tions in the solution vector, the inversion is an ill-posed
problem.

Various methods are in use to construct a useful
solution: Iterative relaxation methods such as the
Chahine–Twomey method rely on the fact that oscil-
latory fine structures in the solution converge more
slowly than well-determined broad features. The
oscillations in the profile are suppressed by using a
finite number of iterations. A truncated singular value
decomposition also suppresses unwanted oscillations.
The Twomey–Tikhonov method explicitly introduces
an additional linear constraint on the solution vector
that is weighted against the fit quality. For example, a
smoothness condition on a trace gas profile can be
used. The most refined inversion method relies on the

Figure 4 The Fourier spectrometer MIPAS-B. The beamsplitter is located in the quadratic turret near the center of the image. To the

right, the pendulumstructure generating the path delays can be seen. Some technical details of the experiment are given in the discussion

of balloon-borne instruments in the section on experiments and results.
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optimal estimation approach: The state of the atmos-
phere is considered to be represented by an appropri-
ate probability density function. Under the action of
the additional spectral information introduced by the
measurement, a modified probability density function
is generated. The most probable realization of the
overall state vector (atmosphere1measurement)
might be interpreted as the result of the measurement.

An estimation of errors in remotely sensed data
requires an examination of the errormapping from the
spectral domain to the set of atmospheric variables
deduced from the measurement. The uncertainties of
spectroscopic data, the uncertainties of auxiliary
atmospheric quantities affecting the spectrum, the
impacts of interfering spectral features, instrumental
error sources, and the impacts of the a priori assump-
tions all need to be included in the error budget. In
general, a meaningful error characterization of a
remotely sensed set of variables has to take into
account the correlationof errors between the variables.

Some Experiments (Past, Present,
and Future) and Results

In this section we present a few examples out of many
important remote sensing experiments. The examples
are arranged with respect to their platforms, from
ground-based to satellite-borne sensors.

Sensors operating in the infrared spectral region
with sufficiently high spectral resolution can measure
more than 30 chemical constituents, as well as
temperature. Among these species areO3, CO2,H2O,
NO,NO2,HNO3,N2O5, ClONO2,HO2NO2,N2O,
CH4, CFCs, C2H6, SF6, CO, HOCl, ClO, COF2,
OCS, H2CO, and SO2. If the experiment relies on the
thermal emission of the atmosphere, only the spectral
range below approximately 2500 cm�1 can be used,
and therefore some species of interest are not acces-
sible, particularly HCl and HF. Owing to the limited
atmospheric path length as compared to limb sound-
ing, nadir sounding is noticeably less sensitive, and
consequently the set of observable species is limited
(H2O, CH4, N2O, CO2, CO, O3, and HNO3). The
same argument holds for ground-based solar absorp-
tion measurements in comparison with tangential
absorption measurements.

Sensors operating in the far-infrared spectral region
with sufficient high spectral resolution can measure
about 20 chemical constituents, including O3, H2O,
OH, ClO, HCl, HF, HNO3, and N2O.

Ground-based Instruments

More than adozen ground-basedmid-infrared Fourier
transform spectrometers are operated within the

framework of the international program NDSC (Net-
work for the Detection of Stratospheric Change) at
stations all over the world. Most of these spectrome-
ters are commercial instruments, achieving spectral
resolutions of about 0.002 cm�1. This is sufficient to
resolve the shape of the atmospheric lines. From the
solar absorption spectra recorded by these instru-
ments, total column amounts of many stratospheric
gases, such as O3, HCl, ClONO2, ClO, HNO3, NO,
NO2, and HF are deduced. In the case of strong
absorbers, such as O3, HCl, and HF, profile informa-
tion can also be retrieved.

In Europe, the observations performed by the
University of Liège, Belgium, on top of the Jung-
fraujoch ridge document an outstanding tradition in
remote atmospheric measurements: As early as
1950 M. Migeotte, using a grating spectrometer,
inferred the presence of CH4 and CO from infrared
absorption features in atmospheric spectra. Since
1975, Fourier transform spectrometers have been
used for the measurements. The time series deduced
from themeasurements, now spanningmore than two
decades, are well suited for trend analyses. Figure 5
shows trends of several species as deduced from the
measurements.

Airborne Instruments

The SAFIRE-A (Spectroscopyof theAtmosphere using
Far-InfraRed Emission F Airborne) instrument is
operated on a Russian M-55 aircraft capable of
reaching a maximum altitude of 21 km. SAFIRE-A,
developed at the Electromagnetic Wave Research
Institute in Florence, Italy, is a Fourier transform
spectrometer measuring in the far-infrared region
from 10 cm�1 to 250 cm�1 with a spectral resolution
of 0.004 cm�1 (equivalent to 125 cmmaximumoptical
path difference). The interferometer comprises a
compact pantographic dual-slide design. Bolometers
are used in the wavenumber region from 10 cm�1 to
50 cm�1, whereas the higher-frequency channels are
equipped with semiconductor detectors. The main
data products of SAFIRE-A are O3, ClO, HNO3, and
N2O. On the same airplane, a cryogenic Fourier
transform spectrometer for the mid-infrared region
(MIPAS-STR) is operated that is a descendant of the
MIPAS-B experiment (see next paragraph). Precursor
instruments of SAFIRE-Ahavebeenflown successfully
aboard stratospheric balloons.

Balloon-borne Instruments

The MIPAS-B experiment (Michelson Interferometer
for Passive Atmospheric Sounding) is a cryogenic
limb-sounding Fourier transform spectrometer. The
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instrument was designed and built by the Institut für
Meteorologie und Klimaforschung (IMK) in Karls-
ruhe, Germany. The flights started in 1989 and so far
12 MIPAS flights have been performed. The whole
instrument is cooled to 195K so that the thermal self-
emission of the atmosphere can be studied with high
spectral resolution. The experiment aims in particular
to improve our knowledge of stratospheric ozone loss
by probing the chemical composition of the strato-
sphere. For the observation of the chemical evolution
inside the winter polar vortex, the independence of
solar radiation is especially beneficial. The detector
system is equippedwith four Si:As BIB (band impurity
blocked) detectors, and allows simultaneous observa-
tions in four spectral channels covering 750 cm�1 to
1900 cm�1with a resolution of 0.033 cm�1 (equivalent
to 15 cm maximum optical path difference). The first
Arctic vertical profiles of the species ClONO2 and
N2O5 were provided by this experiment, and the
partitioning of chlorine and nitrogen species as well as
denitrification events inside the Arctic vortex have
been studied in some detail. Figure 6 shows the NOx

budget in the polar vortex, as deduced fromMIPAS-B
measurements.

TheMkIV Fourier transform infrared spectrometer
was designed and built at the Jet Propulsion Labora-
tory in Pasadena, California, in 1984. The instrument
records solar absorption spectra in the entire 700–
5700 cm�1 spectral range using two detectors. The
resolution is 0.01 cm�1. Vertical profiles of more than
30 species are deduced from sunrise/sunset observa-
tions at float height or from balloon ascent/descent
measurements. The experiment aims to monitor trace

gases in order to test chemical transportmodels, and to
perform correlative measurements for other experi-
ments. The MkIV instrument has successfully com-
pleted 11 balloon flights, and has also been operated
on the NASA DC-8 airplane. Moreover, it is used for
ground-based measurements in the framework of the
NDSC.

The LPMA spectrometer (Limb Profile Monitor of
the Atmosphere) operated by the Université Pierre et
Marie Curie in Paris, France, follows the same
measurement principle as the MkIV instrument. The
LPMA experiment demonstrates that a commercial
FTIR spectrometer (a Bomem DA-2, offering
0.01 cm�1 spectral resolution) can be successfully
operated on a balloon. Recently, a balloon instrument
for nadir observations has been derived from the
LPMA spectrometer, to yield test data for the forward
model calculations and the retrieval procedure in-
volved in the IASI satellite experiment to be launched
in 2005 on METOP-1.

Instruments in Space

The ATMOS instrument (Atmospheric Trace Mole-
cule Spectroscopy Experiment) represents the design
of spectrometers developed by the Jet Propulsion
Laboratory from 1972 onwards. The ATMOS sensor
itself was designed and built by NASA’s contractor
HEOC (Honeywell Electro Optics Center), and has
flown four times on the Space Shuttle in the solar
occultation mode since 1985. More than 30 species
have been deduced from the spectra, covering the
range from600 cm�1 to 5000 cm�1with a resolution of
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0.01 cm�1. Figure 7 shows a set of trace gas profiles
deduced fromATMOSmeasurements. On the basis of
essentially pure solar spectra recorded at high tangent
heights, an atlas of the solar spectrum has been
compiled from these measurements.

The UARS (Upper Atmospheric Research Satellite)
was launched in September 1991 andwas in operation
until September 2001. Ten instruments yielded a

comprehensive suite of geophysical parameters. In
the present context, three of these instruments deserve
special attention. CLAES is the Cryogenic LimbArray
Etalon Spectrometer; the instrument was in operation
until May 1993, when the cryogens used to cool the
spectrometer were used up. Among the data products
were O3, ClONO2, N2O, CH4, N2O5, HNO3, H2O,
CFCl3, and CF2Cl2 observed in the spectral range
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from 780 cm�1 to 2900 cm�1. ISAMS, the Improved
Stratospheric andMesospheric Sounder, is also a limb
sounding radiometer. It used a combination of pres-
sure-modulated and wide-band channels in the 600–
2500 cm�1 range to perform measurements of the
species O3, CO, HNO3, NO, NO2, N2O, H2O, and
N2O5. ISAMS made measurements from September
1991 to July 1992. HALOE, the Halogen Occultation
Experiment, also combines wide-band and gas-cell
correlation techniques in the spectral range from
1000 cm�1 to 4000 cm�1. It yielded profiles of the
species O3, HCl, HF, CH4, H2O, NO, and NO2 on
about 30 available solar occultations each day from
October 1991 until September 2001.

TheCRISTA experiment (CRyogenic Infrared Spec-
trometers and Telescopes for the Atmosphere) is a
liquid-helium-cooled cryogenic limb scanner. Four
grating spectrometers cover the 140 to 2500 cm�1

region. Three telescopes are used simultaneously to
improve the horizontal coverage. The sensor is
mounted on the free-flying satellite ASTRO-SPAS,
which is released and recaptured by the Shuttle. Up to
now, CRISTA has been in orbit twice in 1994 and
1997. CRISTA measures about 20 species in the 15 to
150 kmaltitude range and is able to observemesoscale
dynamical structures due to its good spatial resolution
and near global coverage.

The IMG experiment (Interferometric Monitor for
Greenhouse gases) was part of the Japanese ADEOS
mission. It was developed by the Japan Resources
Observation System Organisation for the Ministry of
International Trade and Industry. The satellite was
launched in August, 1996, and operated until June,
1997. The IMG nadir sounder offered a spectral
resolution of 0.05 cm�1 in the spectral region from
700 cm�1 to 3000 cm�1.The central aimof IMGwas to
map global features in the distribution of CH4 andCO
to improve our knowledge on natural as well as
anthropogenic sources and sinks of these gases.

The MOPITT (Measurements of Pollution in the
Troposphere) instrument on board the Terra satellite
was launched in 1999 as part of NASA’s Earth-
observing program. The project is a collaboration
betweenCanada and the United States. It monitors the
global tropospheric concentrations of CO and CH4

using correlation spectroscopy in six spectral channels
between 2200 cm�1 and 4500 cm�1.

TheMIPAS sensor on board the European Environ-
mental Satellite Envisat is a limb sounder mainly
aiming at the chemistry of the stratosphere. It was
developed by the European Space Agency and belongs
to the core experiments onEnvisat, andwas originally
proposed by H. Fischer and colleagues at IMK (see
MIPAS-B above). Envisat was launched in March

2002. MIPAS uses a dual-port interferometer and a
dual-slide design. The spectral range from 650 cm�1 to
2400 cm�1 is covered by four spectral channels. The
spectral resolution is 0.025 cm�1.

The TES instrument (Tropospheric Emission Spec-
trometer), built by the Jet Propulsion Laboratory, is
designed to examine the troposphere. TheTES Fourier
spectrometer is due to be launched on NASA’s EOS
CHEM 1 platform at the end of 2003. TES has both
nadir and limb modes of observation. In the nadir
mode, the observations will be performed with a
spectral resolution of 0.1 cm�1; in the limb mode, a
resolution of 0.025 cm�1 will be applied. Another
innovative feature is the use of focal plane arrays to
measure spectra from16 adjacent directions of view at
the same time. In the limb mode, tangent heights from
0 to 33 km will be covered.

See also

Global Change: Ozone Trends; Upper Atmospheric
Change. Ozone: Ozone Depletion. Radiative Transfer:
Absorption and Thermal Emission; Non-local Thermody-
namic Equilibrium; Scattering. Satellite Remote Sens-
ing: Temperature Soundings. Satellites: Research
(Atmospheric Science). Stratospheric Chemistry and
Composition:HalogenSources, Anthropogenic; Halogen
Sources, Natural; Overview. Stratospheric Water
Vapor. Tropospheric Chemistry and Composition:
Carbon Monoxide.
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Introduction

This article illustrates applications of lidar to studies of
atmospheric chemistry and physics through measure-
ment of trace atmospheric constituents. The funda-
mentals of lidar, and the different techniques that it can
exploit (Rayleigh, Mie, and Raman scattering, differ-
ential absorption, Doppler, and resonance scattering)
are described in other articles in the entry on Lidar in
this Encyclopedia and are not repeated here; the reader
is advised to consult those articles if unfamiliar with
the lidar technique.

Lidar has a particular strength for atmospheric
measurement in its ability to combine the high
resolution of in situ measurements with the coverage
(in space and time) of passive remote sensing. A
vertically pointing lidar can measure humidity (for
instance) with a vertical resolution of a few tens of
meters and, if atmospheric conditions allow, provide
continuous measurements over a period of many
hours. An airborne ozone lidar has a lower vertical
resolution (a few hundred meters) but will measure a
curtain of ozone valuesB10 kmdeep and hundreds or
thousands of kilometers long during a typical flight.
Such measurements have been crucial in advancing
our understanding of the interaction between atmos-
pheric chemistry and dynamics. At the present time,
space-borne lidars are being developed that will
extend the benefit of lidar to global measurement,
vastly improving the vertical resolution attainable
with passive remote sensing techniques, particularly in
nadir sounding.

Lidars designed for measurements above the plan-
etary boundary layer usually point only in the vertical
direction. In this part of the atmosphere, vertical
gradients greatly exceed horizontal gradients and
there is no advantage in a scanning capability. For
many boundary-layer applications, however, there is a
need to scan the laser beam through a range of zenith
angles and azimuths. This is particularly acute for
measurements near sources – e.g., monitoring of
hydrocarbon emissions from oil refineries or methane
leaks from gas pipelines. Some of the most important
commercial applications of lidar relate to such prob-
lems and to the general issue of pollutant dispersion, so
scanning lidar technology is well established in indus-
try. For scientific applications, however, the vast

majority of lidar observations reported so far have
used a vertically pointing beam.

Aerosol Observations

Aerosols are tiny liquid or solid particles (usually less
than 1 mm in diameter) suspended in the atmosphere.
They play an important role in nucleating clouds (and
so affect climate) and in high concentrations they
impact on air quality. The lidar technique is readily
applied to aerosol observations since the aerosols
provide a direct backscatter signal. This can either be
used by itself or be converted to the lidar backscatter
ratio, R (eqn [1]).

R ¼ measured backscattered signal

backscattered signal from air alone
½1�

The aerosol-free backscatter can either be measured
using rotational or vibrational Raman scattering from
atmospheric N2, or calculated from a coincident
temperature profile measured (for instance) by a
radiosonde.

One important application of this technique has
been in the monitoring of stratospheric aerosol during
volcanically perturbed periods (Figure 1). Regular
lidar observations of stratospheric aerosols began in
the late 1970s and have continued until the present
day. An example, showing integrated backscatter
measured at Garmisch-Partenkirchen (47.51N,
111E) is shown in Figure 2 and clearly demonstrates
the massive perturbations to stratospheric aerosol
caused by the eruptions of El Chichon (1983) andMt.
Pinatubo (1991), as well as a string of minor
perturbations from smaller eruptions. Although the
global-scale evolution of the aerosol cloud is best
observed from satellites, the ability of lidar to resolve
small-scale features and to measure correctly at the
lowest levels in the stratospheremakes it an invaluable
tool, especially during the early phase of a volcanic pertur-
bation. Figure 2 shows that in recent years the aerosol
levels have continued to reduce to very low levels, even
lower than in the late 1970s.

A single laser wavelength is sufficient to monitor
volcanic events, but information on the size distribu-
tion and composition of aerosols requires multiwave-
length lidars. Even with wavelengths spanning the
visible and UV, from 300 to 800 nm, the problem is
underconstrained, and modeled theoretical shapes
for the size distribution (e.g., log-normal) must be
assumed. Nevertheless, multiwavelength lidars
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combined with theoretical modeling provide valuable
constraints on the properties of stratospheric aerosols.

Further information on the phase of aerosolsmay be
gained by measuring the depolarization of the lidar
signal. The laser beam is usually plane-polarized, and

atmospheric gases and spherical droplets depolarize
either very weakly or not at all. Solid particles,
however, can depolarize strongly. An important
application of this technique to atmospheric chemistry
has been in the study of polar stratospheric clouds
(PSCs). PSCs come in two forms – ice clouds (PSC
type 2), which strongly backscatter and depolarize the
laser beam, and non-ice clouds (PSC type 1), which are
much smaller, weakly backscattering particles. On the
basis of lidar observations, these are further divided
into type 1a particles, which depolarize the laser beam
and type 1b,which do not. The latter are interpreted as
supercooled ternary solutions (liquid droplets) of
nitric acid, sulfuric acid and water, and the former as
crystalline nitric acid trihydrate. The distinction is
important for atmospheric chemistry because the rates
of heterogeneous reactions releasing chlorine are
different for the different type 1 PSCs, as is their
sedimentation velocity: the type 1b particles are
significally smaller than type 1a. (See articles on
Chemistry and information on the importance of
chlorine for ozone destruction.) Lidar has played a
pivotal role in building this picture of PSC composi-
tion and the way in which one type can evolve into
another, for instance in a mountain wave.

In the boundary layer, the aerosol population can
have a very complex distribution of sizes and compo-
sition; this is particularly true for polluted air masses.
In such cases the lidar backscatter ratio is difficult to
interpret scientifically, and extensive ancillary infor-
mation is needed to derive, for instance, the aerosol
scattering coefficient. For this application, extinction
of the laser beam is a more useful measurement. This
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can readily be accomplished from the N2 Raman-
shifted backscatter, where the signal is from the air
alone but the extinction results from both air and
aerosol scattering. Currently, a network of about
20 stations in Europe routinely monitors boundary
layer aerosol by measurements of backscatter and
extinction, building up a climatology of its vertical
distribution.

Ozone Observations

One of the main applications of the lidar technique to
atmospheric chemistry has been in observations of
ozone. Ozone absorbs strongly in the ultraviolet part
of the spectrum, and the absorption coefficient varies
rapidly with wavelength. These two facts make the
differential absorption (DIAL)method ideal for ozone
measurements. The exact choice of wavelengths used
in an ozone lidar depends on the atmospheric region to
be probed: troposphere or stratosphere. Ozone con-
centrations in the troposphere are usually less than
150 ppbv, so lidars can operate in the solar-blind
region (o300 nm)where the stratospheric ozone layer
completely absorbs the Sun’s radiation. This means
that background light levels are very low even in
daytime, enabling 24-hour lidar operation without
sophisticated wavelength selection in the receiver. For
stratospheric observations, returns are needed from
above the ozone concentration peak, so these lidars
must use wavelengths above 300 nm and are not solar-
blind.

Most existing ozone lidars use either Nd:YAG or
excimer lasers. The fourth harmonic of theNd:YAGat
266 nmmay be used for boundary layermeasurements
(typically, three or more wavelengths are needed for
accuracy in the boundary layer because of interference
by aerosols) but is absorbed too quickly for measure-
ments more than B2km above the lidar. Stimulated
Raman scattering, however, can be used to convert the
laser to longer wavelengths that can cover the entire
troposphere, such as 289 nm (first Stokes line of 2H2),
294 nm (H2H), and 299 nm (H2). The advantages of
cost, ease of use and wavelength stability mean that
Nd:YAG lasers are widely exploited for tropospheric
ozone lidars.

Excimer lasers have considerable advantages as
lidar transmitters, being very bright and having a high
pulse repetition frequency. The XeCl laser, with its
wavelength of 308 nm, is ideal for stratospheric ozone
measurements and is extensively used in ground-based
ozone monitoring. The second DIAL wavelength may
be provided by another laser (e.g., a third harmonic
Nd:YAG at 355 nm), by stimulated Raman scattering
from the main laser beam (e.g., 353 nm using H2), or
by using backscattered Raman-shifted radiation from

the atmospheric N2 at 332 nm. Because of the
substantial difference between the two wavelengths,
these configurations are subject to aerosol interfer-
ence, particularly in volcanically perturbed condi-
tions, which introduces substantial systematic error.
One solution to this problem is to use only Raman-
shifted backscatter for the DIAL wavelengths, e.g.,
332 and 387 nm (the N2 Raman-shifted wavelength
from 355 nm): such a configuration also allows ozone
retrieval in polar stratospheric clouds.However, when
the stratospheric aerosol concentration is near to
background levels such sophistication is not necessary
and a simple two-laser DIAL lidar is sufficient.

A number of intercomparisons have been made
between XeCl stratospheric ozone lidars and other
techniques such as electrochemical ozonesondes,
ground-based microwave, and satellite instruments.
Agreement is best between 20 and 30 km,where75%
between different lidars and between lidar and sonde
may be expected. Above 30 km the sondes are unre-
liable and below 20 km systematic errors in the lidars
become more apparent. The accuracy of a DIAL lidar
tends to be limited by precision at higher levels
(typically determined by the photon count rate) and
systematic effects such as overloading of the photo-
multiplier detectors at lower levels. Agreement be-
tween different XeCl lidars, and between lidars and
ozonesondes, is generally around 10% between the
tropopause and 20 km.

Lidars designed to measure in the troposphere and
the lowermost stratosphere normally use wavelengths
closer together than those used by stratospheric lidars:
for example, the 289/299 nm pair obtained from a
Nd:YAG laser by stimulated Raman scattering. These
lidars generally agree with other techniques (ozone-
sondes, aircraft-borne UV spectrometers) to better
than 10%, and are less susceptible to aerosol interfer-
ence than their stratospheric counterparts. Very high
aerosol concentrations in the planetary boundary
layer do present a problem, however, and a lidar
with three or more wavelengths is needed for accurate
ozone measurements in such conditions. In the low-
ermost stratosphere, under background aerosol con-
ditions, a DIAL wavelength pair such as 299 and
316 nm (the latter is the second Stokes line from the
Raman scattering of 266 nm by 2H2) can measure
profiles with an accuracy better than 5%.

Because of the accuracy and inherently goodvertical
resolution of the lidar technique, ozone lidars are well
suited for routine monitoring of the ozone layer and
for validation of satellite measurements. In the tropo-
sphere and lower stratosphere the ability to make
continuous measurements over time confers an extra
advantage. Ozone in this part of the atmosphere is
generally considered a tracer, in other words changes
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in its concentration at a particular location are due to
transport rather than chemistry. The distribution of
ozone is intimately linked to weather systems, and
measurement of the ozone distribution gives an
immediate picture of the effect of weather systems
on transport in the atmosphere. One of the most
successful applications of tropospheric ozone lidars
has been in studies of stratosphere–troposphere ex-
change. Stratospheric ozone concentrations are many
times higher than in the troposphere, and a layer of
stratospheric air drawn into the troposphere is readily
detected by lidars. Furthermore, as the layer advects
over the lidar site, its horizontal structure is revealed.
An important example is the tropopause fold, a layer
of stratospheric air extruded down into the frontal
zone beneath a jet stream. The converse – a layer of
tropospheric air transported into the lower strato-
sphere by breaking Rossby waves – is also readily
detected by lidar.

These advantages of temporal continuity and verti-
cal resolution are exploited to the full in airborne
lidars. Rather thanwait for the atmosphere to bring an
interesting event to a stationary lidar, an aircraft takes
the instrument to the event, and airborne lidar has
become a standard tool for studies of stratosphere–
troposphere exchange and long-range transport of
pollution. A cross-section of a tropopause fold meas-
ured by an airborne lidar is shown inFigure 3; it clearly
depicts themorphology and scale of this event. Equally

valuable is the ability of a downward-pointing lidar to
mapout the extent of a pollution plume, either froman
individual city or in the outflow from a continent to
a nearby oceanic region. An example is shown in
Figure 4.

Humidity Observations

Accurate measurements of atmospheric water vapor,
especially in the dry, cold air of the upper troposphere
and stratosphere, are notoriously difficult. Two lidar
techniques may be used to measure water vapor, and
these provide a valuable source of observations in their
own right and for intercomparison with other tech-
niques.

The most direct measurement of water vapor is by
Raman scattering. The vibrational Raman spectrum
of a particular molecule provides a unique spectral
signature, so that by spectrally analyzing the back-
scattered radiation from a vertically pointing laser
beam one can in principle determine the composition
of the atmosphere. In practice the scattering frommost
minor constituents is too weak to be detected, or is
masked by returns from O2 and N2. The two impor-
tant exceptions are methane (see below) and water
vapor. The first vibrational Raman line ofwater vapor,
at 3652 cm�1, is well separated from those of O2 at
1556 cm�1 and of N2 at 2331 nm�1. The ratio of
backscattered intensity from H2O and N2 should give
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a direct measurement of humidity mixing ratio unaf-
fected by aerosol and by most systematic errors in the
lidar (e.g., alignment). This is particularly attractive
for a reference instrument: it turns out that the largest
source of systematic error in aRaman humidity lidar is
inadequate knowledge of the scattering cross-sections
ofH2OandN2. An example of a lidar humidity profile
compared with that from a nearby radiosonde is
shown in Figure 5. Long integration times are required
to obtain good measurement precision in the upper
troposphere.

Vibrational Raman scattering is very weak, 1000
times weaker than Rayleigh scattering. A Raman lidar
therefore needs a powerful laser and large collecting
optics, as well as excellent wavelength selection to
avoid interference by elastically scattered and back-
ground light. However, a Raman lidar does have a
major advantage for ground-based operation: the
weak scattering means there is no problem observing
the very dry upper troposphere through the relatively
moist lower layers. This sharp decrease with altitude
of atmospheric humidity militates against the DIAL
technique for ground-based profiling. For aircraft
lidars, however, the situation is reversed – the aircraft
can look down through progressively more humid
layers. Greater absorption of the laser signal with
depth compensates for the reduced signal-to-noise
ratio, so ensuring accurate measurements over a range

of many kilometers with one wavelength pair. This,
together with the high-powered lasers and large
collecting optics required for Raman lidars, makes
DIAL the favored technique for airborne lidars.
Observations in the 730 nm, 815 nm, and 940 nm
absorption bands (using alexandrite, Ti:sapphire, and
optical parametric amplifier lasers, respectively) have
all been made from research aircraft, together cover-
ing the entire troposphere and lower stratosphere up
to about 17 km. These observations have similar
applications to those of airborne ozone lidars, such
as studying the extent and evolution of tropospheric
haze layers and the structure of streamers of low-
latitude air in the lower stratosphere.

Measurements of Pollutants in the
Boundary Layer

One of the most important applications of lidar lies in
its ability to make remote measurements of pollutant
emissions from industrial sources. In the modern
regulatory environment such a capability is of great
commercial value, and many lidar systems have been
developed around the world to provide it. Typically,
such a lidar is mounted in a truck or van and driven to
the perimeter of the site under investigation. The lidar
performs a two-dimensional scan of the regionupwind
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and downwind of the emission source, mapping the
pollutant concentration as a function of height and
elevation angle. When these measurements are com-
bined with coincident wind measurements (e.g., from
a meteorological tower), the flux of pollutant being
emitted from the site may be estimated. The lidar’s
ability tomake range-resolvedmeasurements makes it
the primary tool for remote-sensing investigations of
this type.

Early applications of lidar to pollutant monitoring
used the Raman technique. Raman has the advantage
that it does not require a specific laser wavelength but
it has two main disadvantages as already mentioned:
Raman backscatter is very weak, and the rotational–
vibrational bands of O2 andN2 canmask Raman lines
from minor constituents. An advantage of Raman is
that good range resolution can be achieved if the
backscattered signal is sufficiently large. A typical
application of theRaman technique has been to search
for leaks from gas pipelines; concentrations of B1%
methane may readily be detected 1 km away.

Recent work in this field, however, has almost
exclusively exploited the DIAL technique. As new and

better-tunable laser transmitters are developed, espe-
cially in the infrared, new applications for DIAL are
opened up. The two wavelength regions most com-
monly exploited are the ultraviolet between 230 and
300 nm and the infrared between 3 and 5mm. In the
former, gases such as nitric oxide (226 nm), sulfur
dioxide (287 nm), toluene (267 nm), and benzene
(253 nm) have sharp absorption lines making them
suitable for DIAL detection: this spectral region is also
solar-blind, with obvious advantageous for daytime
operation. Dye lasers, pumped by Nd:YAG and
frequency-doubled, were used in many early lidars of
this type, but the advent of tunable solid-state lasers
such as titanium:sapphire has led to more powerful
and compact transmitters. Closely related to these
lidars is the NO2 lidar, typically operating near
450 nm, which is used to detect the emission of this
gas from combustion sources.

Mercury vapor is another gas that can be detected
readily by UV lidar. Mercury is released from its ore,
cinnabar, by roasting it, and in regions where this
extraction is practised (particularly the huge cinnabar
deposits at Alamadén in Spain) there is obvious
concern about the poisonous effects of mercury vapor.
Sincemercury has a very strong electronic transition at
253.6 nm, it is readily detected (in high enough
concentration) by DIAL lidar, and indeed much
work has been conducted at Alamadén on the disper-
sion of mercury vapor using DIAL.

The advent of high-quality infrared nonlinear opti-
cal materials has led to a new class of bright, stable
infrared laser beams, usually obtained through non-
linear mixing of Nd:YAG and dye lasers. These
infrared sources are tunable and have very narrow
linewidths (0.1 nm is attainable), opening up the
possibility of DIAL measurements in the infrared.
Very many molecules of atmospheric interest have
vibrational–rotational bands in the near infrared (2–
5 mm) and, provided that interference with water
vapor and CO2 bands can be avoided, they can be
measuredwith infraredDIALs. Examples aremethane
(CH4), acetylene (C2H2), ethylene (C2H4), and ethane
(C2H6). The obvious application for such lidars is to
measure emissions from petrochemical plants and
storage facilities, although they are also useful for
tracking plumes for several kilometers downwind of
industrial sources.

An example of a mobile lidar designed for pollution
measurements is that operated by the UK National
Physical Laboratory, London (Figure 6). This uses two
Nd:YAG-pumped dye lasers, one for UV measure-
ments (via a second-harmonic generator) and one for
IR measurements (via a LiNbO3 difference frequency
mixer). The gases measurable with this technique
(togetherwith their typical detection limits for a 100m
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diameter plume centered at 200m range) are shown in
Table 1. A 14m mast carries wind, temperature and
humidity sensors, used to convert the number density
tomixing ratio and to calculate fluxes across the plane
scanned by lidar. The system is calibrated by reference
to standard cells with known concentrations of the
measured gases. It has been used to measure volatile
organic compound (VOC) emissions from more than
twenty different petrochemical facilities, including oil
refineries, retail gasoline stations, and an ethylene
processing plant.

Mesospheric Chemistry

The most distinctive aspect of mesospheric chemistry
to be studied by lidar is that ofmetal atoms and ions of

meteoric origin. Meteors ablate in the 90–100 km
altitude range, releasing their contents as vapors.
Metal atoms and ions are characterized by excited
electronic states with excitation energies correspond-
ing to visible photon wavelengths. Such is the low
density in the upper mesosphere (B0.01 Pa) that
collisional quenching of these states is generally
much slower than their radiative decay. Under these
conditions, resonance scattering comes into its own as
a lidar technique: if the laser beam is tuned to an
electronic transition of the desired species, the back-
scatter cross-section is enhanced by an enormous
factor – typically of order 1016. This enables concen-
trations of metal atoms or ions as low as 107m�3 to be
measured by lidar.

The first and most extensively studied species to be
measured in this way was sodium, using the D2 line at
589 nm. Profiles have also been measured of potassi-
um (770 nm), lithium (671 nm), neutral and ionized
calcium (423 and 393 nm, respectively), and iron
(372 nm). The altitude distribution of these species
corresponds to themeteor ablation region,with a peak
concentration at B90km. In the case of sodium, the
actual concentrations measured vary strongly with
season and latitude, being greatest in winter and at
high latitudes. A typical sodium atomconcentration at
90 km at 691N is around 5�109m�3. Surprisingly, the
strong seasonal variation characteristic of sodium is
not found for potassium, which changes little over the
year. All the metals so far studied exhibit thin layers of
greatly enhanced concentration, which appear spo-
radically and last typically a few hours. Their origin
remains something of a mystery, as does their distri-
bution; enhanced sodium layers, for instance, are

Figure6 MobileDIAL lidar systemoperated by theNational Physical Laboratory, London,UK. (Figure courtesy of T.Gardiner, National

Physical Laboratory.)

Table 1 Typical parameters of the NPL DIAL lidar system

Species Laser

wavelength

Measurement sensi-

tivity at 200m range

(ppbv)

Nitric oxide, NO 226nm 5

Nitrogen dioxide, NO2 450nm 10

Sulfur dioxide, SO2 300nm 10

Ozone, O3 289nm 5

Mercury vapor, Hg 254nm 0.5

Benzene, C6H6 253nm 10

Toluene, C7H9 267nm 10

Methane, CH4 3.42mm 50

Ethane, C2H6 3.36mm 20

Ethylene, C2H4 3.35mm 10

Acetylene, C2H2 3.02mm 40

Hydrogen chloride, HCl 3.42mm 20

Nitrous oxide, N2O 2.90mm 100

Methanol, CH3 OH 3.52mm 200
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found mainly at low and high latitudes, whereas iron
layers are commonest in mid-latitudes. There is also
some uncertainity about the relative concentration of
differentmetals.Whereas those of sodium, potassium,
and lithium are consistent with their meteoric source,
the concentrations of iron and calcium aremuch lower
than expected. The advent of tunable solid-state lasers
promises to simplify considerably the construction of
lidars for mesospheric metal measurements, so that
rapid advances in this fieldmay be expected in the next
few years.

The hydroxyl radical (OH) has recently been
measured in the mesosphere by lidar. In fact this
measurement is a serendipitous bonus of stratospheric
ozone lidars based on XeCl lasers. The 308 nm laser
wavelength falls within an ;electronic excitation
band of OH, which means that resonance
scattering is possible, as for metal atoms (although
the technique is often called laser-induced fluores-
cence, there is no wavelength shift between transmit-
ted and received radiation). At night a layer of
enhanced backscatter appears between 75 and 85km
at 308 nm that corresponding toOHconcentrations of
2–4�105 radicals cm�3. The existence around the
world of several lidars for stratospheric ozone mon-
itoring means that the temporal and latitudinal vari-

ation of mesospheric OH may be followed for little
extra cost.

See also

Lidar: Atmospheric Sounding Introduction; Backscatter;
DIAL; Doppler; Raman; Resonance. Mesosphere: Metal
Layers.Meteors. Stratospheric Chemistry and Com-
position:HOx; HalogenSources, Anthropogenic; Halogen
Sources, Natural; Halogens; Hydrogen Budget; Hydroxyl
Radical; Reactive Nitrogen (NOx and NOy).
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Introduction

Microwave remote sensing observations for atmos-
pheric chemistry have been obtained from ground,
aircraft, balloon, and satellite platforms. Examples of
results are given later in this article, after describing the
measurement fundamentals, chemical species having
microwave spectra, and instrumentation. The tech-
nique has been used, to date, for observations of
stratospheric andmesospheric chemistry. It has not yet
been applied to tropospheric chemistry, primarily
because of difficulties associated with tropospheric
H2O absorption and the larger widths of tropospheric
spectral lines. Recent technological advances
have removed the second difficulty, and future appli-
cation to the upper troposphere, where there are
sufficient spectral windows, is expected. Microwave
observations of chemical species can be made in the

presence of clouds and volcanic aerosols that limit
shorter-wavelength infrared, visible, and ultraviolet
techniques.

‘Microwave’ is used here to denote heterodyne
measurements at centimeter, millimeter, and submilli-
meter wavelengths. The spectral range of interest
extends, roughly, from the 1.35 cm wavelength
(22GHz frequency, 1GHz5 109Hz) H2O spectral
line through the 0.12mm wavelength (2.5 THz fre-
quency, 1 THz5 1012Hz) OH lines. ‘Heterodyne’
indicates multiplying a weak input signal by a strong
local oscillator signal to translate – without loss of
information – the input signal to a portion of the
spectrummore convenient for further processing. This
process allows measurements of weaker signals, and
better spectral resolution, than can generally be
obtained with other techniques. Technology for low-
noise submillimeter heterodyne measurements has
become available only recently, and is advancing
rapidly. Far-infrared nonheterodyne techniques made
the first measurements of the atmospheric submilli-
meter spectrum.
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Resolved spectral lines providing unique signatures
of selected species aremeasured.Measurements canbe
either of atmospheric thermal emission or of absorp-
tion against a source such as the Sun; most are of
thermal emission in order to obtain results at all times
of day and night. Temperature is usually obtained
from emission by O2 but can also be obtained from
other gases. The rotational states usually sensed are in
thermal equilibrium well up through the mesosphere,
easing interpretation. The approximately linear tem-
perature dependence of the Planck function at the
observed wavelengths and temperatures means that
uncertainties in atmospheric temperature generally do
not limit accuracy of the measured abundance. The
resolved line measurements give robust results: taking
the difference between outputs from nearby channels
‘on’ and ‘off’ a line can eliminate artifacts while
retaining the signal. The ‘shape’ of output from
channels covering the line, which must have a certain
form, also provides robustness and information on the
altitude profile. Mathematical techniques for retriev-
ing abundance and temperature from remote meas-
urements are well established.

Figure 1 shows the tropospheric spectrum for the
wavelength region considered here. The window at
B200–300GHz is especially productive for ground-
based measurements of stratospheric chemistry. Air-
craft, balloon, and satellite platforms usually must be
employed for measurements aboveB300GHz owing
to tropospheric H2O absorption.

Measurement Fundamentals

The power in the atmospheric signal measured at
frequency n over incremental range dn can be written
as eqn [1].

dPn ¼ 1

2
dn
Z
O
Inðy;fÞAeðy;fÞ dO ½1�

Inðy; fÞ is the intensity (WHz�1m�2 sr�1) of atmos-
pheric radiation from direction ðy; fÞ and Aeðy; fÞ is
the instrument’s effective collecting area in that
direction. The integration is over all solid angle O;
the factor 1

2 appears because only one polarization is
received and random polarization is assumed here for
the atmospheric radiation. The collecting area of a
heterodyne ‘radiometer’ (instrument for measuring
radiative power) has the property [2], where l ¼ c=n is
the wavelength of the radiation (c ¼ 2:998�108 m s�1

is the speed of light), and is related to Gðy; fÞ, the
instrument’s ‘antenna gain pattern’, by Aeðy; fÞ ¼
l2Gðy; fÞ=4p. Z

O
Aeðy;fÞ dO ¼ l2 ½2�

Equation [2] has important practical implications:
the instrument’s collecting area integrated over solid
angle is just the square of the wavelength, independent
of its ‘physical’ size. The power collected from a
source that fills the antenna beam, generally true for
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Figure 1 Atmospheric zenith transmission above a 4 km high mountain (A) and above an aircraft at 12 km (B). The absorption features

seen here are due to H2O and, to a lesser extent, O2. (Reproduced with permission from Phillips TG and Keene J (1992) Submillimeter

astronomy. Proceedings of the IEEE 80: 1662–1678.r 1992 Institute of Electrical and Electronics Engineers, Inc.)

OBSERVATIONS FOR CHEMISTRY (REMOTE SENSING) / Microwave 1517



atmospheric measurements, is not increased by in-
creasing the aperture’s physical size. The increase in
power that might have been expected from the
aperture size increase is, owing to diffraction effects,
offset by a decrease in the angular range over which
radiation is collected. The instrument field-of-view
(FOV) width (in radians) in a particular plane is,
approximately, the inverse of the aperture dimension
(in wavelengths) in that plane. Because the integrated
collecting area is l2, the power per unit frequency
interval collected at frequency n from blackbody
radiation is 1

2l
2BnðTÞ, where BnðTÞ ¼ ð2 hn3=c2Þ=

ðehn=kT � 1Þ is the Planck function giving the radiation
intensity; h ¼ 6:626�10�34 J s is the Planck
constant; and k ¼ 1:38�10�23 WHz�1 K�1 is the
Boltzmann constant. For temperatures in Earth’s
atmosphere, 12 l

2BnðTÞ is nearly constant with n up to
B5THz, beyond which it drops rapidly, as shown in
Figure 2. Heterodyne measurements of atmospheric
thermal emission are, thus, relatively efficient at
frequencies up to B5THz (l >� 5�10�5 m), but
not much beyond. Shorter-wavelength (e.g., infrared)
heterodyne atmospheric measurements are usually
made of solar absorption.

The intensity of radiation from a given direction is
given by eqn [3].

In ¼ Inð0Þ e�tð0;LÞ þ
Z tnð0;LÞ

0

BnðTÞ e�tnðs;LÞ dtnðsÞ ½3�

The integral is over the radiation path through the
atmosphere with the instrument at L; In ð0Þ is the
radiation at point 0 outside the atmosphere and tn,
given by eqn [4], is the ‘optical depth’ at frequency n
between points s and L on the path, where anðsÞ
is the ‘absorption coefficient’ (having dimension
1/length) at s.

tnðs;LÞ ¼
Z L

s

anðsÞ ds ½4�

Combining eqns [1]–[3], the power collected from a
thermal emission signal (no Inð0Þ term in eqn [3]) over
frequency range Dn can be written as eqn [5].

Psig ¼ l2

2
BnðTÞð1� e�tnð0;LÞÞDn

�!tn 0;Lð Þ�1
l2

2
BnðTÞtnð0; LÞDn ½5�

In eqn [5] an overbar indicates an appropriate average,
and the rightmost expression applies to signals with
small optical depth. The microwave signal power is
usually expressed as signal ‘brightness temperature’.
This quantity is proportional to the detected power
from the signal, has units of temperature, and for hn �
kT converges to the temperature of blackbody radi-
ation that would give rise to the amount of detected
power from the signal (eqn [6] where eqn [5] has been
used to obtain the expression for large optical depth
after the first arrow).

Tsig � Psig

kDn
�!tnð0;LÞ�1

l2

2k
BnðTÞ !hn�kT

T ½6�

The absorption coefficient for an isolated spectral
line is given by eqn [7].

auln ¼ n
2p2glguf

2
ulm

2

3e0hcQðTÞ

� e�El=kT � e�Eu=kT
h i

nbðn; nulÞ ½7�

In eqn [7] n is number density of the species with the
spectral line, u and l denote the upper and lower
quantum states involved in the transition, gl is the
degeneracy and El the energy for state l; f2

ul is the
transition matrix element (sometimes gu is included in
f2
ul),m is the overall dipole (or other)moment coupling

to the radiation field, and e0 ¼ 8:854�10�12 Fm�1 is
the permittivity of vacuum.QðTÞ ¼ Sgl expð�El=kTÞ
is the partition function, and it is assumed that the
quantum states are in thermal equilibrium. The ‘line
shape function’ bðn; nulÞ, normalized such thatR
bðn; nulÞ dn ¼ 1, gives the probability density that
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Figure 2 The power per unit frequency interval collected by a

heterodyne instrument at frequency n from a blackbody radiation

fieldat 200and250K.The function is plotted inunits ofWMHz�1, as
MHz is the typical unit for widths of microwave spectral lines.

(Reproduced with permission from Waters JW (1993) Microwave

limb sounding. Chapter 8 in Janssen MA. Atmospheric Remote

SensingbyMicrowaveRadiometry. NewYork:Wiley.r1993John

Wiley.)
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the transition is observed at frequency n rather than the
nominal nul ¼ ðEu � ElÞ=h.

Atmospheric microwave line shapes are dominated
by collision (pressure) broadening at lower altitudes
and Doppler (thermal motion) broadening at higher
altitudes. The collision linewidth parameter (half-
width at half-maximum) can be written Dnulc ¼
ðDnulcoÞ . ðp=1 hPaÞ . ðT=300KÞ�xwherep is atmospher-
ic pressure, and Dnulco and x are constants. Typical
values are Dnulco ¼ 2:5MHz; x ¼ 0:75. The Lorentz
shape, bðn; nulÞ ¼ ½Dnulc =p�=½ðn� nulÞ2 þ ðDnulc Þ2�, is
applicable to the narrow collision-broadened
lines measured for atmospheric chemistry. Doppler
broadening gives aGaussian shape bðn; nul ¼ ð1=DnulDÞ
ðln 2=pÞ1=2 expf�ln 2½ðn� nulÞ=ðDnulDÞ�2g with line-
width parameter DnulD ¼ ðnul=cÞ . ð2 ln 2kT=mÞ1=2 ¼
3:58�10�7 . nul . ðT=mÞ1=2, where m is the molecular
mass in gmol�1 and T is in K. The Voigt shape
(convolution of collision and Doppler shapes) applies
when both Doppler and collision broadening are
important. Figure 3 shows representative linewidths
versus altitude. The collision linewidth for O2 is
noticeably smaller than the others in Figure 3 because
collision linewidths generally increase with dipole
moment and O2 has a very small (magnetic) dipole.
Doppler broadening is important above B80 km for
the 22GHzH2O line, decreasing to aboveB40 km for
the 2.5 THz OH line.

The line shape function at the center of a collision-
broadened line has value 1=ðpDnulc Þ. Equation [7] then
becomes [8], where f � n=N is the volume mixing
ratio of the gas whose spectral line is being measured,
N being atmospheric total number density,
Dnulc / pT�x /NT1�x has been used, and all transi-
tion and frequency-dependent terms, and constants,
are placed in SulðTÞ.

aulnul ¼
fm2

QðTÞ SulðTÞ ½8�

Equation [8] shows that the intensity at center of a
(low optical depth) collision-broadened line is

proportional to the volumemixing ratio of the species.
Figure 4 shows a spectral line for the samemixing ratio
at the top, middle, and bottom of the stratosphere.

Chemical Species and Spectra

Many chemical species have spectral lines in the
wavelength region considered here. It is useful to have
a ‘figure of merit’ that, in some sense, indicates the
typical strength of a microwave spectral line from a
particular species and can provide a first step for
exploring measurement feasibility. Extracting factors
from eqn [8] that depend only upon the species’ overall
properties yields M ¼ fm2=Q as a ‘figure of merit’.
Abundance of the species is described by f ; m2

describes its overall interaction strength with radia-
tion, andQ roughly indicates the number of quantum
states over which it is spread. Table 1 lists strato-
spheric species in order of decreasing M for approx-
imate maximum abundances in the stratosphere.
Symmetric molecules (e.g., CH4 and CO2) with no
dipolemoment and nomicrowave spectra aremissing,
as are complex molecules (e.g., chlorofluorocarbons)
having large partition functions that cause their ‘figure
of merit’ to be lower than those included in the table.
Examination of a species’ spectrum, and – to avoid
interference – the spectra of other species having M
greater than B10 times below that of the targeted
species, is required to determine measurement feasi-
bility and the spectral line(s) best suited. A catalog
maintained by the Molecular Spectroscopy Group at
the California Institute of Technology Jet Propulsion
Laboratory (see World Wide Web site http://spec.jpl.-
nasa.gov) has microwave line parameters for the
species in Table 1, and many more. Line frequencies
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Table1 Stratospheric species in decreasing order of themicrowave ‘figure ofmerit’M ¼ fm2=Q, where f is abundance in volumemixing

ratio (column 5), m is the dipole moment (column 3, where 1 Debye510�18 esu cm53.34�10�30Cm), andQ is the spin-rotation partition

function (column 4, for a typical stratospheric temperature of 225K). Excited vibrational states, indicated in parentheses (e.g., 2n2
indicates the second excited state of the second vibrational mode), are treated as separate species. The right column indicates if a

microwave spectral line from that species has been detected by instruments from ground ‘G’, aircraft ‘A’, balloon ‘B’, or satellite ‘S’. ‘(S)’

indicates a satellite instrument tomeasure thismolecule is planned for the near future. Species having log10 ðMÞ ��15 are included here.

(Updated from Waters JW (1993) Microwave limb sounding. Ch. 8 in Janssen MA (ed.), Atmospheric Remote Sensing by Microwave

Radiometry. New York: John Wiley; Spectroscopic data from 9 Oct 2001 revision of the JPL Submillimeter, Millimeter, and Microwave

Spectral Line Catalog, available on the world wide web at http://spec.jpl.nasa.gov.)

Species Log10 (M) Dipole moment

(Debye)

Partition function

at 225K

Maximum stratospheric

abundance (approximate)

Microwave

detected from

O2 � 6.4 0.0186 1.64�102 2.1�10�1 G, A, B, S

H2O � 6.8 1.847 1.16�102 5.0�10�6 G, A, B, S

O3 � 8.9 0.5324 2.23�103 1.0�10�5 G, A, B, S
18OO � 9.1 0.0186 3.46�102 8.6�10�4 G, (S)

HF � 9.4 1.827 7.96 1.0�10�9

H2
18O � 9.5 1.855 1.17�102 1.0�10�8 G, S

H2
17O � 10.3 1.855 1.17�102 1.9�10�9 (S)

HDO � 10.3 1.732 9.56�101 1.5�10�9 G, S

HCl � 10.4 1.109 6.34�101 2.3�10�9 A, B, (S)
17OO � 10.6 0.0186 2.02�103 1.5�10�4

OH � 10.6 1.655 6.03�101 5.0�10�10 A, B, (S)

O2(n1) � 10.7 0.0186 1.64�102 1.0�10�5

N2O � 10.7 0.1608 3.74�102 3.0�10�7 G, A, B, S

H37Cl � 10.8 1.109 6.34�101 7.5�10�10 A, B

O3(n2) � 10.9 0.5324 2.23�103 1.0�10�7 G, B, (S)

O2(
1D) � 11.0 0.0186 1.13�102 3.0�10�6 G

CO � 11.1 0.1101 8.17�101 5.0�10�8 G, A, S

SO2 � 11.2a 1.633 3.84�103 1.0�10�8 a A, S a

HCN � 11.3 2.984 3.18�102 2.0�10�10 G, (S)
16O � 11.3 0.0186 6.324 1.0�10�7

H2O(n2) � 11.3 1.816 1.16�102 1.9�10�10

HNO3 � 11.5 1.986 1.82�104 1.5�10�8 G, A, B, S
18OOO � 11.6 0.5324 4.69�103 4.0�10�8 G, B, S

O18OO � 11.6 0.5324 2.29�103 2.0�10�8 G

O3(n3) � 11.8 0.5324 2.23�103 1.3�10�8 G, (S)

O3(n1) � 12.0 0.5324 2.23�103 9.0�10�9 G
35ClO � 12.0 1.297 2.31�103 1.5�10�9 G, A, B, S

N2O(n2) � 12.3 0.1608 3.74�102 7.0�10�9
37ClO � 12.5 1.297 2.35�103 5.0�10�10

NO � 12.5 0.1587 8.17�102 1.0�10�8 Gb, (S)

H2CO � 12.5 2.331 1.87�103 1.0�10�10 G, S

HO2 � 12.6 1.541 2.84�103 3.0�10�10 G, A, B, (S)

OCS � 12.7 0.715 7.72�102 3.0�10�10

O3(2n2) � 12.8 0.5324 2.23�103 1.3�10�9

HCN(n2) � 12.8 2.942 1.06�102 2.0�10�12

NO2 � 12.9 0.316 8.76�103 1.0�10�8 G

HD18O � 13.0 1.726 9.68�101 3.0�10�12

HNO3(n7) � 13.1 1.986 1.82�104 3.8�10�10
13CO � 13.1 0.1105 8.55�101 5.0�10�10

O17OO � 13.1 0.5337 1.35�104 3.8�10�9 (S)
17OOO � 13.1 0.5337 2.73�104 7.6�10�9 (S)

N15NO � 13.1 0.1608 3.74�102 1.1�10�9
15NNO � 13.1 0.1608 3.87�102 1.1�10�9

HNO3(n9) � 13.2 1.986 4.57�104 8.1�10�10

H13CN � 13.2 2.984 3.27�102 2.2�10�12

HC15N � 13.2 2.984 1.09�102 7.3�10�13

CH3Cl � 13.2 1.899 1.83�104 3.0�10�10

HNO3(n6) � 13.3 1.986 1.82�104 2.4�10�10
18OH � 13.3 1.667 6.06�101 1.0�10�12

H2O2 � 13.4 1.572 5.76�103 1.0�10�10 S

N2
18O � 13.4 0.1608 3.96�102 6.0�10�10

DF � 13.5 1.819 1.48�101 1.5�10�13
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are typically known toB0.1MHz or better; strengths
to B1% or better. Dipole (and other) moments are
measured from Stark and Zeeman splitting of spectral
lines, allowing line strengths to be determinedwithout
requiring measurement of the gas abundance in a
laboratory cell. Linewidth parameters can be meas-
ured with B3% accuracy.

Figure 5 shows, on a very compressed scale,
representative spectra including those of radicals
involved in themajor chemical cycles for stratospheric
ozone destruction. Figure 6 shows an expanded region
near 625 and 650GHz where the strongest rotational
line of ClO and the first rotational line of HCl occur.

Instrumentation

Figure 7 gives a typical block diagram of a microwave
instrument for atmospheric chemistry observations.

Atmospheric signals are collected by an antenna,
possibly amplified or filtered, and passed to a mixer.
The mixer combines the atmospheric signal with a
monochromatic local oscillator (LO) signal in a
nonlinear process that reproduces the signal spectra
at frequencies that are sums and differences of the
atmospheric and LO signal frequencies, and possibly
at their harmonics. State-of-the-art mixers are based
on planar Schottky diodes (either cooled or room
temperature), superconductor–insulator–supercon-
ductor (SIS) tunnel junctions, or superconducting hot
electron bolometer (HEB) devices. The LO frequency
is chosen so that themixingproduct of interest (usually
at the difference between the LO and signal frequen-
cies) appears at intermediate frequencies (IFs) con-
venient for further processing. The IF signal, after
amplification, is passed to a spectrometer that sepa-
rates it into individual spectral channels with desired

CH3CN � 13.5 3.922 2.36�104 5.0�10�11 S

O18OO(n2) � 13.6 0.5324 2.45�103 2.2�10�10
18OOO(n2) � 13.6 0.5324 4.99�103 4.4�10�10

HNO3(n8) � 13.6 1.986 1.82�104 1.2�10�10

O3(n2 þ n3) � 13.7 0.5324 2.23�103 1.6�10�10

CH3
37Cl � 13.7 1.895 1.86�104 1.0�10�10

HD17O � 13.8 1.73 9.6�101 5.7�10�13

HO35Cl � 13.8 1.471 6.18�103 5.0�10�11 (S)

H81Br � 13.8 0.828 7.84�101 2.0�10�12

H79Br � 13.8 0.828 7.84�101 2.0�10�12

C18O � 13.8 0.1108 8.58�101 1.0�10�10

O3(n1 þ n2) � 13.9 0.532 2.23�103 1.0�10�10

N2O(2n2) � 13.9 0.1608 3.74�102 1.7�10�10
18O � 14.0 0.0186 6.324 2.0�10�10

H15NO3 � 14.0 1.9 1.8�104 5.5�10�11

HO2NO2 � 14.0 1.288 8.66�104 5.0�10�10

O35ClO � 14.0 1.792 3.49�104 1.0�10�10

OC34S � 14.1 0.715 7.78�102 1.2�10�11

N2
17O � 14.1 0.16 3.8�102 1.1�10�10

79BrO � 14.1 1.780 2.93�103 7.0�10�12
81BrO � 14.1 1.780 2.94�103 7.0�10�12 (S)

HO37Cl � 14.2 1.471 6.29�103 2.0�10�11

HDO(n2) � 14.2 1.7 9.5�101 2.0�10�13

N2O(n1) � 14.2 0.16 3.8�102 8.0�10�11

H2SO4 � 14.4 2.725 1.01�105 5.0�10�11

H2
13CO � 14.5 2.331 1.93�103 1.1�10�12

O37ClO � 14.5 1.792 3.54�104 3.3�10�11

DCl � 14.5 1.103 1.18�102 3.0�10�13

C17O � 14.6 0.1103 8.38�101 1.9�10�11

COF2 � 14.6 0.951 3.99�104 1.0�10�10

O13CS � 14.7 0.715 7.74�102 3.3�10�12
17O � 14.7 0.0186 6.324 3.8�10�11
35ClOO35Cl � 14.7 0.72 2.77�105 1.0�10�9

OC18O � 14.8 0.0007 4.2�102 1.4�10�6
35ClONO2 � 14.9 0.72 3.72�105 1.0�10�9

aAbundanceandmeasurements are for enhancedSO2 injected into the stratosphere by a volcanic eruption. BackgroundSO2 abundance

in the stratosphere isB10�11, corresponding to log10ðMÞ ¼ �15:5.
bThe 250GHz spectral line due to thermospheric NO has been measured.

Table 1 Continued

Species Log10 (M) Dipole moment

(Debye)

Partition function

at 225K

Maximum stratospheric

abundance (approximate)

Microwave

detected from
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resolution. Each channel’s signal is then ‘detected’
(converted to a voltage proportional to its power and
digitized), and passed to the data-handling system.
Instruments often contain multiple mixers, LOs, IF

amplifiers, and spectrometers to allow simultaneous
observations of several spectral lines. LO frequencies
can be changed operationally to change measure-
ments. Radiometers can be ‘chopped’, to reduce
amplifier gain variation effects, by rapidly moving a
‘reference’ target in and out of the signal path or by
frequency-switching the LO.An instrument sufficient-
ly stable between calibrations does not require
chopping and has twice the sensitivity of an otherwise
identical symmetrically chopped instrument.

Calibration is performed by inserting targets (typ-
ically blackbody targets, with ‘cold space’ generally
used for one when possible) in the signal path near the
instrument input, ideally before the antenna. ‘Double
sideband’ (DSB) radiometers receive signals in two
mixer ‘sidebands’, at IFs above and below the LO,
whereas ‘single sideband’ (SSB) radiometers receive
signals in only one sideband. The DSB thermal
calibration signal, coming through both sidebands, is
twice that for SSB. A spectral line occurring in one
sideband appears half as strong when (thermally)
calibrated DSB as when calibrated SSB. Accurate
calibration can require measuring and accounting for
the responses in the two sidebands.

The sensitivity of amicrowave radiometer is usually
specified by its ‘receiver noise temperature’, a quantity
– analogous to ‘brightness temperature’ – that is
proportional to the instrument noise power referenced
to the instrument input. The root mean square
measurement noise, expressed in temperature, for
integration time Dt and spectral resolution Dn is given
by eqn [9].

DTrms 	 a
Trec þ Tsigffiffiffiffiffiffiffiffiffiffiffi

DtDn
p ½9�

Trec is the receiver noise temperature, and a	 1 for a
nonchopped system or a	 2 for a chopped system.
Tsig, usually much smaller than Trec (except for solar
absorption measurements), is present because the
signal itself is noisy. The value of Trec is primarily set
by noise in the first amplifier and the amount of signal
loss preceding it. Advances in technology are rapidly
reducing noise and extending spectral bandwidth.
Current values of Trec (SSB values, or 2�DSB values)
for the B200–300GHz range with B0.5GHz band-
width are B2000K for room-temperature radiome-
ters and B400K for SIS radiometers. Bandwidth can
be increased at the cost of somewhat increased noise:
room temperature radiometers at B200GHz have
been developed with Trec 	 4000K and B15GHz
IF bandwidth. The measurement noise with Dn ¼
16MHz resolution and Dt ¼ 1 s integration,
for example, is DTrms 	 1K for Trec 	 4000K
and DTrms 	 0:1K for Trec 	 400K. Increasing the
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integration time to 1 hour gives DTrms 	 0:02K for
Trec 	 4000K and DTrms 	 0:002K for Trec 	 400K.
Microwave radiometer noise generally increases with
frequency, but this can be offset by increases in line
strength. A 22GHz radiometer for ground-based
stratospheric H2O measurement (Tsig�0:2K) has
Trec 	 100K with B0.5GHz bandwidth and 20K
cooled first-stage transistor amplifier. A 2.5THz
room temperature radiometer withB15GHz IF band-
width developed for satellite OH measurements
(Tsig�100K) has Trec 	 20000K. HEB radiometers
at 2.5 THz have been constructed recently with
Trec 	 3000K and B10GHz bandwidth; improve-
ments are expected as this technology matures.

Several types of spectrometers are currently used.
Filter banks have a set of simultaneously observed
spectral filters, usually made of discrete or distributed
capacitative and inductive elements, whose frequen-
cies and widths are set as needed for a particular
measurement. Digital autocorrelators measure a sig-
nal’s autocorrelation simultaneously at many time
lags; Fourier transforming the measured autocorrela-
tion function gives the spectrum. Acousto-optic spec-
trometers use the IF signal to modulate a Bragg cell
which, according to the signal’s spectral content,
diffracts a laser beam to a detector array. Chirp
transform spectrometers multiply the IF signal by a
frequency-modulated (chirp) waveform and convolve
the resulting product with a filter that is appropriately
matched to the chirp, and the spectrum appears as a
function of time at the output.

Ground-Based Observations

Ground-based observations can provide continuous
monitoring at selected sites. Instrumentation can be
upgraded and repaired if needed, and can rapidly
respond to changing priorities and atmospheric con-

ditions. Vertical resolution is obtained from the
spectral line shape and is typically around one atmos-
pheric pressure scale height (B6–8 km) but can be
somewhat smaller with good signal to noise. Initial
ground-based microwave measurements in the 1970s
included stratospheric and mesospheric O3 from lines
near 100GHz, and high-rotational lines of O2 (on the
edge of its 60GHz spin-rotation band) that are very
sensitive to stratospheric temperatures. Mesospheric
CO was first measured by 115GHz ground-based
observations, with many later measurements at
230GHz. Early measurements of the 22GHz H2O
line showed a dry stratosphere, in contrast to many
previous balloon in situ measurements (now thought
to have been contaminated) that indicated a very wet
stratosphere.

Ground-based microwave measurements have pro-
vided important results for understanding stratospher-
ic chlorine chemistry. In 1981 they gave the first
definitive remote measurements of ClO, the key
chlorine radical involved in ozone depletion. Early
results also included the first measurement of ClO
diurnal variation, testing crucial aspects of upper
stratospheric chlorine chemistry. In 1986 the tech-
nique gave the first evidence of greatly enhanced ClO
in the Antarctic lower stratosphere, firmly connecting
chlorine chemistry to the ozone hole. Figure 8 shows
an example of ClO evolution observed over Antarc-
tica. Measurements of ClO diurnal variation tested
chemical models for formation and photolysis of the
ClO dimer in the Antarctic lower stratosphere.
Enhanced ClO in the Arctic winter stratosphere also
has been measured. HNO3, important in pro-
cesses involving polar stratospheric clouds (PSCs)
and quenching of reactive chlorine, has been meas-
ured, as has N2O, which gives information on
dynamics.

Additional results include measurement of strato-
spheric HCN, and studies of mesospheric HOx
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and
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Figure 7 Typical block diagram of an instrument for microwave observations of stratospheric chemistry. The ‘radiofrequency’ amplifier

is currently available only at lower frequencies and does not appear in many systems; a filter is sometimes placed at this position to

eliminate unwanted signals in one of themixer’s sidebands. The portion of the instrument between the antennaand spectrometer is called

the ‘receiver’ or ‘radiometer’.
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chemistry frommeasurements of HO2, O3, and H2O.
The O2

1Dg excited electronic state in the mesosphere
has been measured, including diurnal variation, and
implications were obtained for its radiative lifetime
and chemistry. Zeeman splitting of mesospheric O2

lines has been measured. The 250GHz line from
thermospheric NO has beenmeasured. Ground-based
microwave instruments are currently used by several
research groups, and are deployed in the international
Network for the Detection of Stratospheric Change to
measure stratospheric ClO, O3, and H2O.

Aircraft-Based Observations

Aircraft-based observations can provide measure-
ments with good horizontal resolution along a meas-
urement track over an extended spatial range.

Instruments can observe in high-frequency spectral
windows where tropospheric H2O absorption
(Figure 1) prevents ground-based measurements and
where more species have spectral lines. Vertical
resolution is obtained from spectral line shape for
measurements above the aircraft altitude, and can be
obtained from limb sounding techniques at heights
below the aircraft. Initial aircraft measurements in the
1970s included stratospheric H2O and O3 from lines
near 183GHz, and an upper limit on stratospheric
ClO abundance. Recent measurements include strato-
sphericHCl, ClO,O3,HNO3,N2O,H2O,HO2, BrO,
and volcanic SO2 from a 600GHz SIS radiometer.
Figure 9 shows HCl and ClO results from a flight
through the edge of the Arctic vortex. OH and H2O
have been measured from aircraft with a room-
temperature 2.5THz radiometer.

Balloon-Based Observations

Balloon-based microwave observations can pro-
vide measurements throughout the stratosphere
with 2–3 km vertical resolution. The instrument FOV
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is vertically scanned through the atmospheric
limb to observe a long path length and to obtain the
vertical resolution. Balloon instruments providemeas-
urements to higher altitudes with better resolution
than can be obtained from aircraft or ground, and
provide valuable development and tests of techniques
to be deployed on satellites. Initial measurements in
the 1980s were of ClO and O3 from lines near
205GHz. A 600GHz room-temperature instrument
for measuring HCl, ClO, HNO3, N2O, O3, and HO2

became operational in the early 1990s; some results
are shown in Figure 10. Simultaneousmeasurement of
HCl and ClO gives a stringent monitor of stratospher-
ic chlorine chemistry, and first results from the
600GHz balloon instrument showed that the ClO/
HCl ratio in themid-latitude upper stratosphere could
not be explained by chemical models current at the
time. Reaction of OH and ClO producing HCl,
hypothesized as cause of the discrepancy, has since
been measured in the laboratory with a rate that
adequately explains the observations. Arctic winter
flights have provided information on chlorine parti-
tioning for perturbed chemistry in the vortex. Strato-
spheric OH has been measured at 2.5THz from a
balloon instrument that is a precursor for satellite
observation.

Satellite-Based Observations

Satellite-based observations can provide global cover-
age on a daily basis. However, instruments cost more
and require longer development time than for other
platforms. Limb sounding is used for chemistry
observations because of its vertical resolution and
long path length for observations of small concentra-
tions. Low-orbit (B700km altitude) satellites have
an observation path tangent point B3000 km from
the instrument. Vertical resolution of B3 km, for
example, then requires an antenna having vertical
dimension of B1000 wavelengths. Vertical pointing
information is obtained from optically thin O2 emis-
sion and spectral line shapes.

The need for global measurements of ClO motiv-
ated initial development of a satellite microwave
instrument for stratospheric chemistry. The Micro-
wave Limb Sounder (MLS), operating unchopped in
bands around 63, 183, and 205GHz, was developed
to measure ClO, O3, and H2O from NASA’s Upper
Atmosphere Research Satellite (UARS) launched in
1991. A somewhat similar instrument, theMillimeter-
wave Atmospheric Sounder (MAS)was flown on three
Space Shuttle missions between 1992 and 1994.
MLS results showed enhanced ClO filling the lower
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stratosphere polar winter vortices of both the Antarc-
tic and Arctic. This finding was especially important
for the Arctic, demonstrating the effectiveness of
localized polar stratospheric clouds in activating
chlorine throughout the vortex. Observed ozone loss
during periods of enhancedClO is generally consistent
with that expected from the ClO amount. MLS found
that enhancedClO appears in the edge of theAntarctic
vortex by lateMay or early June each year and that by
late July or early August the depletion of ozone by
chlorine starts to dominate increases in ozone by
transport. HNO3 has been measured, providing
insights into PSC microphysical processes and quan-
tifying differences in denitrification (removal of nitro-
gen) between the Arctic and Antarctic. Figure 11
shows examples of dailymaps of temperature,HNO3,
ClO, and O3. Latitudinal variation in upper strato-
spheric zonal mean ClO from MLS appears qualita-
tively consistent with that expected from variations in
CH4. Global ClO variations over a 6-year period have
been related to CH4 variations, increases in total
chlorine, and changes in lower stratospheric chemistry
associated with the decrease of aerosol from the Mt.
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Figure 11 Earth’s lower stratosphere in the Northern Hemisphere on 20 February 1996 (top) and in the Southern Hemisphere on 30

August 1996 (bottom). White contours show the dynamical edge of the polar vortices. HNO3, ClO and O3 are from the Microwave Limb

Sounder on the Upper Atmosphere Research Satellite (no measurements are made in the white areas near the poles due to orbit

limitations). Temperature data are fromoperational analysesof theUSNationalCenter for Environmental Prediction. Temperatures in the

blue and violet color ranges allow formation of polar stratospheric clouds fromHNO3 and H2O; heterogeneous chemistry on these clouds

leads to enhancedClO that causes chemical depletion of O3. HNO3 also provides a source of NOx , which quenchesClO and reduces the

amountof ozonedestruction. BothHNO3andO3 increase in the lower stratospheric vorticesduringearlywinter due to downward transport

of air rich in these species. The amount of ozone destruction each winter in the polar vortices depends on the duration of enhanced ClO,

which is longer for theAntarctic than theArctic. This difference is traceable to theAntarctic lower stratosphere being colder, and remaining

cold for longer, than theArctic. (Reproducedwith permission fromWaters JW,et al. (1999) TheUARSandEOSMicrowaveLimbSounder

experiments. Journal of the Atmospheric Sciences 56: 194–218.r 1999 American Meteorological Society.)
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Pinatubo volcano. MLS andMAS ClO measurements
agree to within B0.1 ppbv where comparisons have
been possible.

MLS measurements of H2O led to the discovery of
the atmospheric ‘tropical tape recorder’ wherebyH2O
entering the tropical stratosphere is imprinted with a
signature (the corresponding H2O saturation mixing
ratio) of the seasonally varying tropopause tempera-
ture. They showed that mid-latitude interhemispheric
H2O differences are not strongly related to the
Antarctic winter vortex dehydration. Information
has been obtained on various types of atmospheric
oscillations and waves that affect the distribution of
chemical species. Upper tropospheric H2O, key for
understanding aspects of climate variability, has been
measured. The vertical profile of stratospheric SO2

injected into the stratosphere by the Pinatubo volcano
was measured for up to 6 months after the eruption,
and its decay ratewas shown to be consistentwith that
expected from reaction with OH. Stratospheric
CH3CN has been measured. Weak signals can require
averaging of data taken over long periods, which is
feasible from satellites as well as from the ground.
Figure 12 shows a weak H2O2 line measured by
averaging MLS data taken over 38 days.

ODIN, a small Swedish satellite launched in 2001
for time-sharing atmospheric and astronomical obser-
vations, hasmicrowave radiometers in bands centered
near 118, 495, 550, 557, and 570GHz to measure
stratospheric H2O (and its minor isotopic variants
H2

17O, H2
18O, and HDO), O 3, ClO, N2O, HNO3,

CO, H2CO, NO, HO2, H2O2, and temperature. A
next-generation MLS for NASA’s Earth Observing
System, has radiometers in five broad bands centered

near 118, 190, 240, 640GHz, and 2.5THz to make
measurements throughout the stratosphere and upper
troposphere as shown in Figure 13. Japan is develop-
ing an SIS instrument for the International Space
Station to measure stratospheric O3 (and its minor
isotopes 18OOO, 17OOO, O17OO and excited vibra-
tional states O3ðn2Þ, OZ3ðn3Þ) ClO, BrO, H35Cl,
H37Cl, HOCl, HO2, H2O2, HNO3, volcanic SO2,
and temperature in spectral bands near 626 and
650GHz. Several groups are studying concepts for
later experiments.

See also

Chemistry of the Atmosphere: Chemical Kinetics.
Ozone: Ozone Depletion Potentials (Halogen Loading);
Role in Climate. Stratosphere - Troposphere Ex-
change: Global Aspects. Stratospheric Chemistry
and Composition: Halogens; Hydrogen Budget.
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Introduction

This article will discuss first what is meant by the term
ocean circulation; second, how the ocean circulation is
determined bymeasurements and dynamical processes;

and finally, the consequences of this circulation on the
Earth’s climate.

What is Ocean Circulation?

The ocean circulation in its simplest form is the
movement of sea water through the ocean, which
principally transfers temperature and salinity from
one region to another. Temperature differences be-
tween regions give rise to heat transfers. Similarly,
differences in salinity produce transfers of salt. On the
time scale of the ocean circulation, the inputs and
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exports of salt into and out of the ocean make a
negligible contribution to overall salinity and so
variations in salinity occur by the addition and
removal of fresh water into and out of the ocean.

Two major processes control the ocean circulation:
the action of the wind and the action of small density
differences within the ocean, produced by differences
in temperature and salinity. The former process is the
wind-driven circulation, while the latter is the ther-
mohaline circulation. Although it is useful to separate
these two processes to better understand the ocean
circulation, they are not independent from each other.

The ocean circulation is in reality a very complex
system, because the flows are not steady in time or
space. They are turbulent flows that show variability
on scales from the largest scale of the ocean basins to
the smallest scales where the energy is finally dissipat-
ed as heat. This turbulent structure of the oceanmeans
there are fundamental limitations on the predictability
of its behavior.

Because of this inherent complexity, oceanogra-
phers have approached ocean circulation by using a
combination of observational methods, including
ships, buoys, and satellites, combined with the math-
ematical methods of dynamical oceanography. This
integrated approach allows hypotheses to be made
that can be tested by comparison with observations.
Furthermore, mathematical models of the ocean
circulation, based on the dynamical principles, can
be constructed and tested against observations.

This article will consider how we measure ocean
circulation, how we determine the major processes at
work, and the consequences of the ocean circulation
on the climate system.

How Do We Determine the Ocean
Circulation?

The determination of ocean currents involves meas-
urement of the displacement of an element of fluid over
a measured time interval. The position of the meas-
urement is defined mathematically in a Cartesian
coordinate system (Figure 1) in which x is positive
eastward direction (lines of constant latitude), y is
positive northward direction (toward the geographic
North Pole), and z is positive upward; z ¼ 0 corre-
sponds to mean sea level. Without ocean currents and
tides, the sea level would be an equipotential surface –
that is, one of constant potential energy. The z
coordinate is perpendicular to the equipotential sur-
face. The origin is the intersection of the Greenwich
meridian (Universal meridian) and the Equator with
mean sea level.

The coordinates of a parcel of water may be
determined by the Global Positioning System (GPS).
This satellite-based system provides a horizontal
position with an accuracy of better than 100m, which
is sufficient for large-scale flows in the ocean. Large-
scale flows are at least 10 km in spatial scale and have
time scales of at least a day. A pressure device attached
to a current meter normally determines the vertical
position.

There are two mathematical methods for defining
the displacement of the fluid. One is to measure the
velocity of the fluid at a fixed point in the ocean, and
the other is to follow the element of the fluid and to
measure its velocity as itmoves through the ocean. The
first method is known as an Eulerian description and
the second is a Lagrangian description of flow. In
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y

vz

0 x

y

z

�a

a′

P′

P

a

(A) (B)

Figure 1 (A) Eulerian and (B) Lagrangian specifications of flow. For both systems, þx is the eastward direction, þy is the northward

direction, and z is vertically upward. (A) The Eulerian specification involves measurement of the velocity (v) of the fluid at a fixed point

ðx ; y ; zÞ. (B) TheLagrangian specification involvesmeasurement of the velocityof a fluid element:a is thepositionvector from theorigin to

the fluid element. An element of fluid moves a small distance da in a time dt , from P to P0. Velocity is da=dt . In the infinitesimal limit,

da=dt ! da=dt ¼ vða; tÞ.
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principle, the two methods are independent of each
other. This means that an Eulerian measurement
cannot provide Lagrangian currents, nor can Lag-
rangian measurements provide Eulerian currents.

Having defined the two mathematical methods, we
will now consider how we can measure currents in
practice. Initially, these methods will address only the
measurement of the horizontal flow. The vertical flow
is difficult to measure directly, and will be discussed
later in this article.

First we will consider the Eulerian method. The
measurement of the flow at a fixed point in the ocean is
only straightforward when a fixed position can be
maintained, for instance when a current meter at-
tached to the bottom of the ocean or to a pier on the
coast. Most measurements have to be made well away
from land. This is achieved by attaching the current
meter to a mooring, which is attached to weights and
then deployed (Figure 2). The position of the mooring
can be determined from GPS. The current meter may
be a rotary device or an acoustic device. The rotary
current meter measures the number of revolutions
over a fixed period, while the acoustic type measures
the change in frequency of an emitted sound pulse
caused by the ocean current (i.e., it uses the Doppler

effect).Mooringsmay be deployed for periods of up to
2 years. In the analysis of the record, it is normal to
remove the high-frequency variability of less than 1
day, caused by tides, by filtering of the data.

A Lagrangian measurement of current can be
determined by following an element of water with a
float. The horizontal displacement of the water over a
small interval of time defines the Lagrangian current.
Figure 3 shows typical float designs. The position of

Reflector

Navigation light

Tripod tower

Battery case Wind recorder

Instrument buoy

Rigid tripod

Current
meters

Acoustic
release
for recoveryAnchor weight

Figure 2 A typical current meter mooring.

3−6 m Aluminum
mast with flag, light,
and radar reflector

Styrofoam float

3−6 m Iron pipe

Chain ballast

Manila line

Manila line

1.3 mm Piano wire

8.5 m Parachute

Chain ballast

Figure3 A typical drifter with a parachute drogue at a fewmeters

below the surface. It will follow the current at the depth of the

parachute.
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the float can be determined by two methods. A float
that has a surface satellite transmitter/receiver can
have its position determined by GPS, while a subsur-
face float would use an acoustic navigation system.
Some floats can descend to a predetermined depth,
maintain that depth for a fewweeks and then return to
the surface for a position fix. This technique allows the
current to be measured down to depths of 1 km below
the surface.

Eachmethod gives different information on the flow
field.Amooringwill give a time series of the horizontal
current, whereas a float will give the trajectory of the
horizontal displacement of the parcel. It is worth
remarking that most of the information on the surface
ocean circulation has come from mariners’ observa-
tions of the ships set, amethod that has been used since
the nineteenth century. However, these measurements
have their limitations since they are neither Eulerian
nor Lagrangian measurements and additional influ-
ences (e.g., wind effects on the ship) may cause errors.

This information can be analyzed in many different
ways to discern the major current systems. From a set
of moorings deployed for a few years across, say, the
Gulf Stream, we can determine the mean flow (i.e., the
average of all the current measurements) and we can
determine its variability. The mean flow could be
calculated over a particular period of time. This period
is limited by the period of deployment, which is of the
order of 2 years. This is rather short for a climatolog-
ical mean, and a much longer period of 10 years is
desirable. A few longer time-series of currents have
been determined for the Gulf Stream in the Florida
Straits and for the Antarctic Circumpolar Current in
the Drake Passage.

Recall that ocean currents are turbulent and there-
fore have variability on a whole range of time scales.
Hence the mean flow gives no information on the
variability of the flow. However, we can calculate the
statistics of the flow, based on the kinetic energy.

The kinetic energy (KE) per unit volume is defined as
in eqn [1].

KE ¼ 1
2rðu2 þ v2Þ ½1�

In eqn [1], r is the density of the sea water and u and v
are the eastward and northward components, respec-
tively, of the horizontal flow.

If the time mean current is defined as �uu, and the
deviation from �uu at any time as u0, we can define the
mean kinetic energy (KEM) and eddy kinetic energy
(EKE) by eqns [2] and [3]

KEM ¼ 1
2rð�uu2 þ �vv2Þ ½2�

EKE ¼ 1
2 rðu02 þ v02Þ ½3�

These two numbers give quantitative measures on the
mean and variability of the flow respectively. The ratio
EKE/KEM gives a measure the relative variability of
the flow. If the ratio is very much less than 1 then the
flow is steady; if the ratio is approximately equal to 1
then the flow is very variable. Figure 4 shows the
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Figure 4 The mean kinetic energy (KEM) and the eddy kinetic

energy (EKE) in a north–south slice through the Agulhas Current

System at 14.41E. Contour units are cm2 s�2. The KEM maximum

corresponds to the mean position of the Agulhas Return Current

(eastward flow) between 401 and 411S, and the Agulhas Current

(westward flow) between 371 and 381S. The EKE distribution is

much broader than that of KEM, which shows the large horizontal

extent of the flow variability. The ratio EKE/KEM is typically about

1/3, which indicates a very variable current system. (Reproduced

from Wells NC, Ivchenko V, and Best SE (2000) Journal of

Geophysical Research 105, 3233–3246.)
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variability of the flow in the Agulhas Current, which is
an intense and highly variable current off the coast of
South Africa.

Although the EKE/KEM ratio gives ameasure of the
variability of the current, it does not give any idea of
the exact time or space scales over which the current is
varying. For example, the current may show a slow
change from one season to another or it may show
faster variation due to eddies. To address this variation
we can use time-series analysis, such as Fourier
analysis, to determine the KE of the flow for different
time periods. Fourier analysis produces a spectrum of
the KE, either in frequency for a time-series or in
wavenumber for a spatial variation in flow. Figure 5
shows the analysis of a time-series into its component
frequencies. If the current were varying on all time
scales, the spectrum would be flat; if there were only
one dominant period, the spectrumwould peak at that
one frequency. This particular analysis shows that the
current is varying at the tidal frequency and the inertial
frequency, both at the high-frequency end of the

spectrum. The inertial frequency is given by 2O sin f,
where O is the rotation rate of the Earth and f is the
latitude. At the lower-frequency end, which corre-
sponds to the ocean circulation frequency, there is a
broad band of high kinetic energy. This band is due to
eddies that cause fluctuations of currents on time
scales of weeks to months.

For these mean climatological currents, our knowl-
edge has been augmented by the application of the
dynamic method. This method is based on the obser-
vation that large-scale ocean currents are in geo-
strophic balance over large areas of the ocean.
Geostrophic balance means that the Coriolis force
balances the horizontal pressure gradient force. The
geostrophic flow is a good approximation to the flow
in the interior of an ocean outside the equatorial
region. The horizontal pressure gradient is dependent
on the slope of the ocean surface and the horizontal
variation of the density distribution within the ocean.
The geoid is an equipotential surface that would be
represented by the sea level of a stationary ocean;
ocean currents cause deviations in sea level from the
geoid. In the future, the slope of the ocean surface may
be determined by satellite measurements of the sea
surface height and the geoid, but at present we do not
have an accurate geoid at sufficiently high resolution
to measure the sea surface slope. The horizontal
variation of density can be determined from temper-
ature, salinity, and pressure measurements that have
been made over large ocean areas during the last
century. The dynamicmethod allows determination of
the vertical shear of the horizontal geostrophic
current; therefore, additional measurements are re-
quired to determine the absolute geostrophic current.
For example, if the current has been measured at a
particular depth, the dynamic method can be refer-
enced to that depth and the vertical profile of current
can be obtained.

The recent World Ocean Circulation Experiment
(WOCE) hydrographic program has provided more
measurements of the ocean than all the previous
hydrographic programs and will give the most com-
prehensive assessment of the climatological horizontal
ocean flow to date.

Recall that we cannot measure the vertical circula-
tion of the ocean directly because it is technically too
difficult to do so at present. Current indirect methods
used to determine the vertical circulation rely on the
use of mathematical approaches, such as dynamical
models, or the use of chemical tracers.

Observations of temperature and salinity can be
inserted into amathematical ocean general circulation
model (see Box 1) which allows the 3D circulation to
be determined, subject to limitations in the accuracy of
the model.
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Chemical tracers have been injected inadvertently
into the ocean fromnuclear tests in the 1960s and from
industrial processes (e.g., chlorofluorocarbons). Nat-
urally occurring tracers such as 14C also exist. These
tracers can be measured with high accuracy in a few
laboratories around the world and, from their distri-
butions at different times, the 3D circulation can be
estimated. This method reveals the time history of the
ocean circulation wherever the tracer is measured.
This is very different information from that provided
by the methods previously discussed, but nonetheless

it can reveal unique aspects of the flow. For example,
nuclear fallout deposited in the surface layer of the
Nordic seas in the 1960s was located in the deep
western boundary current 10 years later.

Wind-Driven and Thermohaline
Circulation

The wind-driven circulation is considered first. The
surface layer of the ocean is directly driven by the

Box 1 An Ocean General Circulation Model

An ocean general circulationmodel comprises a set of mathematical equations that describe the time-dependent dynamical flows in an

oceanbasin. Thebasin is discretized into a set of boxesof regular horizontal dimensions but variable thickness in the vertical dimension.

The horizontal flow (northward and eastward components) is predicted by the momentum equation (Figure 6A) at the corners of each

box (Figure 7).

The forcing for the flowmay come from thewind stress (the frictional term in themomentumequation) and from the surface buoyancy

fluxes, arising from heat and fresh water (precipitation1runoff-evaporation) exchange with the atmosphere and adjacent landmasses.

These buoyancy fluxes change the temperature and salinity in the surface layer of the ocean. The surface water masses are then

subducted into the interior of the ocean by the vertical and horizontal components of the flow, where they are mixed with other water

masses.

The processes of transport and mixing are described by the temperature and salinity equations (Figure 6B and 6C) at the center of

each ocean box (Figure 7). From these two equations, the sea water density, and thence the pressure, can be obtained for each box.

The horizontal pressure gradient is then determined for the momentum equation, while the vertical velocity is calculated from the

horizontal divergenceof theflow.This set of time-dependent equationscan thenbeused todescribeall thedynamical componentsof the

flow field, providing suitable initial and boundary conditions are specified.

Momentum equation

Temperature equation

Rate of change
of horizontal
momentum
in box

Rate of change
of temperature
in box

= Transport of momentum
across faces of box

+

= +

Coriolis
acceleration

+ Horizontal
pressure
gradient

+ Friction

(Rotation
of Earth)

(Gradients in sea
level and in density)

(Internal dissipation
and at ocean boundaries)

Transport of temperature
across faces of box

Mixing of temperature between
box and adjacent boxes

Salinity equation

Rate of change
of salinity
in box

= +Transport of salinity
across faces of box

Mixing of salinity between
box and adjacent boxes

(A)

(B)

(C)

Figure 6 The basic equations for an ocean general circulation model. (Reproduced from Summerhayes CP, and Thorpe SA (1996)

Oceanography: An Illustrated Guide. London: Manson Publishing.)
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surface wind stress and is also subject to the exchange
of heat and fresh water between ocean and atmos-
phere. This layer, which is typically less than 100m in
depth, is referred to as an Ekman layer. A steady wind
stress causes a transport of the surface water 901 to the
right of the wind direction in the Northern Hemi-
sphere and 901 to the left in the Southern Hemisphere
because of the combined action of the wind stress on
the ocean surface and the Coriolis force. These Ekman
flows can converge and produce a downwelling flow
into the interior of the ocean. Conversely, a divergent
Ekman transport will produce an upwelling flow from
the interior into the surface layer (see Figure 8).

This type of flow is known as Ekman pumping, and
is directly related to the Curl of the wind stress. It is of
fundamental importance for the driving of the large-
scale horizontal circulation in the upper layer of the
ocean. For example, between 301 and 501 latitude the
climatological westerly wind drives an Ekman flow
equatorward, while between 151 and 301 latitude the
Trade Winds drive an Ekman flow polewards. At
about 301 latitude the flows converge and sink into the
deeper ocean. Before we can discuss the influence of
Ekman pumping on the interior ocean circulation, we
need to consider role of density.

Aswemove from the surface to the deepest layers of
the ocean, the density of sea water increases. From

hydrographic measurements of density, we can map
the horizontal variation of the depth of a chosen
density surface. These constant-density surfaces are
known as isopycnals. They have the important prop-
erty that the flow tends to move along these surfaces
and therefore the variations in the depth of these
surfaces gives us a picture of the horizontal flow in the
deep ocean, away from the surface layer and benthic
layer. The isopycnal surfaces dip down in the center of
the subtropical gyre at about 301. The formation of
this lens of light warm water is related to the
climatological distribution of surface winds, which
produce a convergence of Ekman transport toward the
center of the gyre and a downwelling of surface waters
into the interior of the ocean. At the center of the lens,
the sea surface domes upwards, reaching a height of
1m above the sea surface at the rim. Owing to
hydrostatic forces, the main thermocline is depressed
downward to depths of the order of 500–1000m
(Figure 9).

The surface horizontal circulation flows anticyclon-
ically around the lens with the strongest currents on
thewestern edge,where the slope of the density surface
reaches a maximum. These are geostrophic currents,
where there is a balance between theCoriolis force and
the horizontal pressure gradient force. Generally,
the circulation in the subtropical gyres is clockwise
in the Northern Hemisphere and anticlockwise in the
Southern Hemisphere. These large-scale horizontal
gyres are ultimately caused by the climatological
surface wind circulation and are found in all the ocean
basins.

The surface layer is also subject to heating and
cooling, and the exchange of fresh water between
ocean and atmosphere, both of which will change the
density of the layer. For example, heat is lost over the
Gulf Stream on the rim of the light water lens of
the subtropical gyre. Recall that flow tends to follow
isopycnal layers and these layers will slope downward
toward the center of the gyre. Cooling of the waters in
the Gulf Stream leads to the sinking of surface waters
to produce a water mass known as 181C water. This
water, which is removed from the surface layer, will
slowly move along the isopycnal layers into the
thermocline. As it moves clockwise around the gyre
it will be subducted in to the deeper layers of the
thermocline, in a spiral-like motion (Figure 8). The
deepest extent of themain thermocline is located in the
subtropical gyre to the west of Bermuda on the eastern
edge of the Gulf Stream rather than in the center of the
ocean basin. This asymmetry of the gyre is related to
the beta effect – the change of the Coriolis parameter
with latitude.

The subtropical gyres are one of the best-studied
regions of the ocean, and our understanding is

Earth′s
rotation

Heat loss

Wind

u u

u u
T
S

Figure 7 A schematic of the model boxes in an ocean general

circulation model. The equations for momentum are solved at

corners of the boxes (u), while the temperature (T ), and salinity (S)

equations are solved at the centers of boxes. The model is forced

by climatological wind stress, surface heat fluxes, and fresh water

fluxes. (Reproduced from Summerhayes CP, and Thorpe SA

(1996) Oceanography: An Illustrated Guide. London: Manson

Publishing.)
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therefore most developed in these regions. These gyres
occur in the surface and thermocline regions of the
ocean and are primarily controlled by the wind
circulation, with modifications due to heating and
cooling of the surface. Thequestionnowariseswhywe
observe thermoclines in the ocean. For example, why
is the warm water not mixed over the whole depth of
the ocean and why is the average ocean temperature
about 31C.

To explain the observed behavior, we need to
consider the thermohaline circulation, which is gen-
erated by small horizontal differences in density, due
to temperature and salinity, between low and high
latitudes. How does it work? Consider an ocean of
uniform depth and bounded at the Equator and at a
polar latitude.Wewill assume it has initially a uniform
temperature and is motionless (we will ignore for the
moment the effect of salinity on density). This hypo-
thetical ocean is then subject to surface heating at low
latitudes and surface cooling at high latitudes. In the
lower latitudes the warming will spread downward by
diffusion, while in high latitudes the cooling will
spread downward by convection, which is a much
faster process than diffusion.The heavier, colderwater
will induce a higher hydrostatic pressure at the ocean

bottom than will occur at low latitudes. The horizon-
tal pressure gradient at the ocean bottom is directed
from the high latitudes to the lower latitudes, which
will induce an equatorward abyssal flow of polar
water. The flow can not move through the equatorial
boundary of our hypothetical ocean and therefore will
upwell into the upper layer of the tropical ocean,
where it will warm by diffusion. The flow will then
return poleward to the high latitudes, where it
downwells into deepest layers of the ocean to complete
the circuit. It is found that the downwelling occurs in
narrow regions of the high latitudes, while upwelling
occurs over a very large area of the tropical ocean. This
hypothetical ocean demonstrates the key role of the
deep horizontal pressure gradient, caused by horizon-
tal variations in density, for driving the flow.

To explain the observed thermohaline circulation,
this hypothetical ocean has to be modified to take into
account the Coriolis force, which causes the deep
abyssal currents to flow in narrow western boundary
currents, the effect of salinity on the density (the haline
component of the flow), asymmetries in the buoy-
ancy fluxes between the Northern and Southern
Hemispheres, and the complex bathemetry of the
ocean basins.

PPycnocline

PPycnocline

Upwelling in the
subpolar gyre

Subpolar gyre

p gySubtropical gyre Below the pycnocline theBelow the pycnocl
deep waters have more 
uniform temperature and
salinity characteristics

seHeat and salt diffu
across pycnocline

Warm, salty water
spirals downward

Figure 8 A schematic representation of the wind-driven circulation in the subpolar and subtropical gyre of an ocean basin. The wind

circulation causes a convergence of Ekman transport to the center of the subtropical gyre and downwelling into the interior. Conversely, in

the subpolar gyre there is a divergence of the Ekman transport and upwelling from the interior into the surface layer. This Ekman pumping

is responsible for the gyre circulations (see text for details). The western boundary currents are depicted by the closeness of the

streamlines. They are caused by the poleward change in the Coriolis force known as the beta effect. (Reproduced from Bean MS (1997)

PhD thesis, University of Southampton.)
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We will now give a descriptive account of the
thermohaline circulation. The deepest watermasses in
the ocean have their origin in the polar seas. These seas
experience strong cooling of the surface, particularly
in the winter seasons. In the North Atlantic, there are
connections through the Nordic seas to the Arctic
Ocean, throughwhich sea ice flows.Heat energymelts
the ice in the North Atlantic and the meltwater gives
rise to further cooling. There are two effects on the
density of the water: Cooling increases the density
whereas surface freshening, due to ice melt, decreases
the density of the water. The former process usually
dominates the density and hence denser waters are
produced. These dense, cold waters flow into the
Atlantic through the East Greenland andWest Green-
land Currents and then into the Labrador Current.
These cold waters mix and sink beneath the warm
North Atlantic Current.

In addition to surface polar currents, we also
have deep ocean currents. The cold saline water
entering from the Nordic seas mixes as it sinks

to the abyssal layers of the ocean and moves
southward as a deep current along the western
boundary of the Atlantic. This water mass is known
as NADW (North Atlantic Deep Water) and is the
most prominent and voluminous of all the deep water
masses in the global ocean. It flows into the Antarctic
Circumpolar Current, from where it flows into
the Indian and Pacific Oceans. In addition to NADW,
colder denser water – Antarctic Bottom Water
(AABW) – enters the Southern Ocean from the
Antarctic shelf seas. It is not as voluminous as
NADW but it flows northward in the deepest layers
into the Atlantic, where it can be distinguished as far
north as 301. These deep flows upwell into the
thermocline and surface waters where they return to
the North Atlantic. This global thermohaline circula-
tion has been termed the global conveyor circulation
to signify its role in transporting heat and fresh water
(Figure 10) around the planet.

How does this circulation explain the thermocline?
We can estimate the rate at which these cold, deep
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Figure9 A representation of themeridional average section through the atmosphere for December–February. The cells are theHadley

cell (H) and theFerrel cell (F). The strengthof the cells is representedby the solid contourswhichare in units of 40Mt s�1, whilst the dashed
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pumping) atB301 latitude, and the equatorial upwelling, which occurs within and above the main thermocline. The North Atlantic Deep

Water (NADW) is produced in the Nordic Seas and is the predominant water mass by volume. The Antarctic IntermediateWater (AIW) is

produced atB501Sand by virtue of its salinity is lighter than theNADW. In contrast Antarctic BottomWater is themost densewatermass

in theworld’s ocean and is formed in theWeddell andRossSeas. These deep flows form part of the thermo-haline circulation. The vertical
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abyssal waters are produced andwe know for a steady
state in the ocean that production has to be balanced
by removal. A large-scale upwelling of the abyssal
waters into the thermocline produces this removal.
Our simple conceptual picture is of warm thermocline
water mixing downward, balanced by a steady
upwelling of the cold abyssal layers. Without the
upwelling, the warm waters would mix into the
deepest layers of the ocean.

The Role of Fresh Water in Ocean
Circulation

In the discussion so far we have seen that the wind-
driven circulation and the thermohaline circulation
are major components of ocean circulation, which are
ultimately driven by the surface wind stress and
buoyancy fluxes. Buoyancy fluxes are the net effect
of heat exchange and the fresh water exchange with
the overlying atmosphere. We have seen that heat
exchange is amajor process explaining the existence of
both the thermocline and the deep abyssal water, but
what is the role of the freshwater in ocean circulation?

In the subtropics there is net removal of fresh water
by evaporation. This increases the salinity of thewater,
which, in turn, increases the density of the thermocline
waters. Normally this effect is opposed by heating,
which lightens the water. However, in the Mediterra-
nean and the Red Sea, evaporation produces saline
waters, which by virtue of their salinity and cooling in
winter, sink to the deepest layers of the basins. At the
Straits of Gibraltar, this dense saline layer flows out
beneath the incoming fresher and cooler Atlantic
water. ThisMediterraneanwater forms a distinct layer
of high-salinity water in the eastern Atlantic Ocean.
Similar behavior occurs at Bab el Mandeb adjacent to
the Gulf of Aden.

The influence of fresh water is more substantial in
the polar oceans. A given amount of fresh water will
have a greater effect on density at low temperatures
than at high temperatures, because the thermal
expansion of sea water decreases with decreasing
temperature. At higher latitudes, we have a net
addition of fresh water into the oceans, which arises
from the excess of precipitation over evaporation and
themelting of sea icemoving toward the Equator from
the polar regions.

The addition of fresh water adds buoyancy to the
surface layer, while cooling removes buoyancy; there-
fore, the freshwaterwill tend to reduce the effect of the
cooling. In the ArcticOcean, the surface layer is colder
but less dense than the warmer layer at B100m and
therefore is in equilibrium. This stable halocline in the

Arctic Ocean reduces the vertical heat flux into the
deep ocean.

In the subpolar oceans, the addition of fresh water
reduces the density of the surface layer and can reduce
the prevalence of deep convection. This happened in
the late 1960s when fresh water, probably from
excessive ice in theArctic Basin,melted in the subpolar
gyre. The effect on the thermohaline circulation is
unknown, but it is believed frommodeling studies that
the drop in the production of deep waters reduced the
thermohaline circulation of the ocean.

What Are the Consequences of this
Circulation on the Climate System?

The effects of the ocean circulation on the climate can
be understood in terms of the heat capacity of the
ocean. The heat capacity of a column of seawater only
2.6m deep is equivalent to that of a column of the
whole atmosphere and therefore the ocean heats and
cools on a long time scale compared with the atmos-
phere.

We know that there is poleward gradient of
temperature, which is driven by the thermal radiation
imbalance between the low and high latitudes. In
response to this temperature gradient, we require a
flow of heat from the warmer to cooler latitudes. Both
the atmosphere and ocean circulations transfer this
heat from low to high latitudes by a variety of
mechanisms. In the low latitudes of the atmosphere
there is the Hadley cell, which transfers low-temper-
ature air in the lowest levels via the Trade Winds
toward the Equator and transfers warmer air pole-
ward in the upper troposphere (Figure 9). At higher
latitudes, anticyclones and cyclones and their accom-
panying upper-air jet streams transfer heat poleward.
In the ocean, the wind-driven Ekman currents transfer
heat as surface waters move across latitude circles.
Thiswater is returned deeper in the ocean at a different
temperature from that of the surface water. The ocean
gyres carry heat toward higher latitudes since the
poleward flows of the western part of the gyres are
warmer than the equatorward flows in the eastern
parts of the gyres. Finally, and not least, there is the
contribution of the thermohaline circulation, which
transportswarm surface and thermoclinewaters to the
highest latitudes and returns cold water to lower
latitudes. Figure 10 shows the heat transport and fresh
water in the ocean.

A major difference between the atmosphere and the
ocean is the relative speed of their circulation. The
atmosphere circulation is a fast system, responding on
time scales of days to weeks. For example, weather
systems in temperate latitudes grow and decay on time
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scales of a few days. By contrast, the ocean tends to be
slower in its response. The fastest parts of the system
are the surface Ekman layers, which respond to
changes in the surface wind circulation on a time scale
of 1 or 2 days. Changes in wind circulation can cause
planetary waves that will change sea level and surface
temperature on monthly to seasonal time scales. In
particular, the equatorial oceans respond to the surface
wind stress on seasonal time scales, which allows a
strong coupling between the ocean and atmosphere to
take place. This gives rise to phenomena such as the El
Niño Southern Oscillation. The subtropical gyres
respond to changes in the wind circulation on decadal
time scales, while the deep thermohaline circulation
responds on millenial time scales. There is some
evidence for rapid changes of local parts of the
thermohaline circulation on time scales of 50 years.

Observations of the deep ocean are far fewer in
number than at the ocean and land surface. The
longest continuous data set is from a deep station at
Bermuda that commenced operations in 1954. Obser-
vations from cruises in the earlier part of the century
are of unknown quality and it is therefore difficult to
know whether differences are due to the use of
different instruments or to real changes in the ocean.
It is only since the 1950s that such changes have been
measured accurately. Figure 11 shows changes in the
temperature for that period across the Atlantic. These
changes are of the order of a few tenths of a degree over
periods of 15 years. Recall that the heat capacity of
oceans is very much larger than atmosphere: hence
these changes in temperature involve very significant
changes in the heat content of the ocean. The World
OceanCirculation Experiment from 1990 to 1997 has
provided measurements of ocean properties such as
temperature, salinity, and chemical tracers as well as
current measurements on a global scale. This set of
high-quality measurements will provide the baseline
fromwhich future changes in ocean circulation can be
determined.

In contrast to the brief record of deep ocean
observations, sea surface temperature measurements
of reasonable quality go back to the late nineteenth
century. These measurements can be used to assess
changes in the surface layers. Salinity measurements
are fewer and not as reliable, but changes can be still
detected.

Salinity measurements in the Mediterranean over
the last century have shown a warming of theWestern
Mediterranean Deep Water of 0.11C and increase of
0.05 in salinity. These reasons for this change are not
known, but it has been speculated that the change in
salinity may be attributed to a reduction in the fresh
water flowdue to the dammingof theNile andof rivers
flowing into the Black Sea.

An important question recently identified is the
stability of the thermohaline circulation. The ther-
mohaline circulation is driven by small density differ-
ences and therefore changes in the temperature and
salinity arising from global warming may alter the
thermohaline circulation. In particular, theoretical
modeling of the ocean circulation has shown that the
thermohaline circulationmay be reduced or turned off
completely when significant excess fresh water is
added to the subpolar ocean. In the event of the
thermohaline circulation being significantly reduced
or stopped, it may take many centuries before it
returns to its present value.

In view of the current levels of uncertainty, it is
necessary to continue to monitor the ocean circula-
tion, as this will provide the key to the understanding
of the present circulation and enhance our ability to
predict future changes in circulation.

See also

El Niño and the Southern Oscillation: Observation;
Theory. Ocean Circulation: Surface–Wind Driven
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Introduction

Winds represent a dominant source of energy for
driving oceanic motions. At the ocean surface, such
motions include surface gravity waves, which are
familiar as thewaves that break on beaches.Winds are
also responsible for small-scale turbulent fluctuations
just beneath the ocean surface. Turbulent motions can
be created by breaking waves or by the nonlinear
evolution of currents near the air–sea interface.
Subsurface processes such as these can lead to easily
observed windrows or scum lines on the sea surface.
Winds also generate other complex and varied small-
scale motions in the top few tens of meters of the
ocean. But the surface/wind-driven circulation de-
scribed in this article refers instead to considerably
larger-scale motions that compare in size to the ocean
basins and extend as much as a kilometer or more
below the surface.

The textbook notion of the surface/wind-driven
circulation includes most of the well-known surface
currents, such as the intense poleward-flowing Gulf
Stream in the western North Atlantic (Figure 1).
Analogs of the Gulf Stream can be found in each of the
major ocean basins, including the Kuroshio in the
North Pacific, the Brazil Current in the SouthAtlantic,
the East Australian Current in the South Pacific, and
the Aghulas in the Indian. These western boundary
currents are not isolated structures. Rather, they
represent the poleward return flow for basin-scale
motions that occupy middle latitudes in all major
oceans. Each of the major ocean basins has analogous
sets of large-scale current systems. The western
boundary currents are quite intense, reaching veloci-
ties in excess of 1m s�1, while the interior flow speeds
are considerably smaller in magnitude.

The basin-scale patterns in the mid-latitude surface
circulation are referred to as subtropical gyres. The
gyres extend many hundreds of meters below the
surface, reaching the bottom in some locations.
Subtropical gyres rotate anticyclonically, that is, they
rotate in a sense that is opposite to the sense of the
Earth’s rotation (clockwise in the Northern Hemi-
sphere and counter clockwise in the Southern Hem-
isphere). In the North Atlantic and North Pacific,
subpolar gyres reside to the north of the subtropical
gyres. They, too, include intense western boundary
currents. However, the subpolar gyres rotate cyclon-
ically, in the opposite sense of the subtropical gyres and
in the same sense as the Earth. Rotation of the wind-
driven gyres is related to the rotation of the Earth
through a simple, though nonintuitive, physical mech-
anism. This mechanism is fundamental to understand-
ing how the wind drives large-scale flows.

Our present understanding of the dynamics associ-
ated with the surface/wind-driven circulation devel-
oped largely during a 30 year period starting in the late
1940s. Before that time, oceanographers were aware
of the gyre-scale features of the surface circulation. But
it was not until the major theoretical advances in
geophysical fluid dynamics beginning around 1947
that the surface circulation was conceptually linked to
the winds.

Observations

Oceanic wind systems exhibit a large-scale pattern
that is common to the major ocean basins (Figure 2).
Near the Equator, trade winds blow from east to west.
Near the poles, westerlywinds blow fromwest to east.
The ocean gyres have similar distributions of east–
west flow. But the reasons for this are quite subtle.
Moreover, there are profound differences between
oceanic and atmospheric motion. North–south flows
in the ocean are muchmore strongly pronounced than
they are in the atmosphere, and winds fail to exhibit
analogs of the intense poleward western boundary
currents found in the ocean.
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Figure 1 Schematic of large-scale surface currents in the Atlantic Ocean. (Reproduced with permission from Tomczak and Godfrey,

1994.)
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Western boundary currents such as the Gulf Stream
were evident in estimates of time-averaged surface
circulation obtained over a century ago with ‘ship-
drift’ data (Figure 3). Ship drift is the discrepancy
between a ship’s position as obtained with dead
reckoning and that obtained by more accurate navi-
gation.Thus, ship drift canbe attributed at least in part
to ocean currents. The patterns of the surface circu-
lation that emerge after averaging large numbers of
such measurements are qualitatively correct. In gen-
eral, however, accurate measurements of currents are
difficult to obtain, particularly below the surface.

Temperature and salinity measurements are rela-
tively abundant, and they provide an alternative
resource for estimating large-scale currents. Temper-
ature and salinity determine seawater density. The
density distribution provides information about the
pressure field, which in turn can be used to diagnose
currents. Formany decades oceanographers have been
routinely measuring vertical profiles of temperature
and salinity. Consequently, detailedmaps of the three-
dimensional density structure exist for all the ocean
basins.

Such maps clearly show a region of anomalously
large vertical gradients in temperature, salinity, and
density known as the main thermocline. The main
thermocline divides two regions of relatively less

stratified water near the surface and bottom. Therm-
ocline depth varies substantially on the gyre scale, and
can exceed 700m depth in some regions. Lateral
variations in the density field can be quite large aswell,
and these are associatedwith the currents thatwe refer
to as the surface/wind-driven circulation.

The first step in estimating currents from density
involves computation of dynamic height using the
principle of isostasy. Isostasy describes, for example,
the pressure field in a glass of ice water. An ice cube
represents a region where water is slightly less dense
than its surroundings. Buoyancy forces elevate the
surface of the ice cube above the surface of the
surrounding fluid. Similarly, a region in the oceanwith
less dense water than its surroundings will have a
slightly elevated sea surface. In the ocean, this result
involves the tacit assumption that currents in the
abyssal ocean are weak relative to those nearer the
surface, as is usually the case. The ocean’s surface
topography implied by the density field is referred to as
dynamic height. Figure 4 shows dynamic height
computed from density between 1500 and 100m
depth. The variations of a meter or more are large
enough to account for the pressure gradients that force
the large-scale gyres.

The connection between pressure and large-scale
currents involves the principle of geostrophy.
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Figure 2 Global mean surface wind stress. (Reproduced with permission from Tomczak and Godfrey, 1994.)
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Geostrophic currents arise from abalance of the forces
involving pressure gradient forces and Coriolis accel-
erations. This balance is a consequence of the large
horizontal scales of the flow combined with the
rotation of the Earth. If the Earth were not rotating,
the sea surface elevations would accelerate horizontal
flows down the pressure gradient, as occurs with
smaller-scale motions such as surface gravity waves.
With large-scale geostrophic flows however, the
Coriolis effect gives rise to currents that flow perpen-
dicular to the pressure gradient, as indicated by
the arrows in Figure 4.

Geostrophic currents such as those in Figure 4
provide evidence of the surface/wind-driven circula-
tion. This point requires some explanation since the
geostrophic flows are associated with large-scale
pressure-gradient forces in the top kilometer of the
ocean. As discussed below, winds directly drive
motions in a relatively thin layer at the ocean surface
known as the surface mixed layer. But these directly
wind-driven flows give rise to other large-scale flows
and, in turn, to the large-scale pressure gradients that
can be estimated with dynamic height. Thus, it is
accurate to refer to the large-scale geostrophic surface

circulation as the wind-driven circulation because the
pressure gradients would not exist without the wind.

Wind-Driven Surface Layer

Surface Mixed Layer

The surface mixed layer is loosely defined as a part of
the water column near the surface where observed
temperature and salinity fields are vertically well
mixed. In practice this layer extends from the ocean
surface to a depth where stratification in temperature
or density exceeds some threshold value. Typically, the
underlying water is more strongly stratified. The
mixed-layer depth often undergoes large diurnal and
seasonal variations, varying between zero and 100m.
However, the surfacemixed layer rarely occupiesmore
than one percent of the total water column.

Winds provide the primary source of mechanical
forcing for the motions that homogenize water prop-
erties within the mixed layer. Mixing can also result
from the destabilizing effects of cooling and evapora-
tion near the surface, as these can temporarily give rise
to localized regions where the surface water overlies
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less dense water. Restratification of a stable water
column involves solar heating from above, reduced
salinity from precipitation, and other more subtle
processes.

The detailed mechanisms by which wind generates
small-scale motions (i.e., motions on scales smaller
than the mixed-layer depth, such as breaking waves)
are quite complex and incompletely understood.
Nevertheless, the effect of wind on the surface mixed
layer is commonly parameterized through a stress tw
on the ocean surface.Wind stress has units of force per
unit area. The standard empirical relation has the form
of eqn [1], where ra is the density of air,Cd � 10�3 is a
drag coefficient that may depend on wind speed and
atmospheric stability, and u is the wind speed 10m
above the sea surface. Tenmeters is the standardheight
that commercial ships use to mount their anemome-
ters, and ship reports still account formost of the direct
measurements of wind over the ocean.

tw ¼ rairCdu
2 ½1�

Ekman Dynamics

The small-scale motions that mix temperature
and salinity also mix momentum. As a result, the

momentum of the wind is efficiently transmitted
throughout the mixed layer, thereby accelerating
horizontal currents. The resulting motions have
large horizontal length scales comparable to those of
the wind systems that drive them. In 1905, Walfrid
Ekman developed a model revealing the influence
of the Earth’s rotation on such large-scale flows.
His dynamical model presumed that the force
associatedwith adivergence in the verticalmomentum
flux is balanced by Coriolis accelerations associated
with the horizontal flows. The vertical momentum
flux in this wind-driven Ekman layer is the result of
turbulent mixing processes which Ekman parameteri-
zed using Fick’s law.Thus, the vertical turbulent fluxof
momentum is made proportional to the vertical
gradient of the large-scale horizontal velocity. This
parameterization involves an uncertain constant of
proportionality called the vertical eddy viscosity Av.
Ekman’s model predicts horizontal currents that
simultaneously decay and rotate with depth. This so-
called Ekman spiral decays away from the surfacewith
a vertical scale known as the Ekman depth, given by
eqn [2].

D ¼ ð2Av=f Þ1=2 ½2�
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This relation provides our first introduction to the
Coriolis parameter f ¼ 2O sin (latitude), which ap-
pears here because of Coriolis accelerations in the
Ekman dynamics. The angular velocity of the Earth is
a vector ofmagnitudeO ¼ 2p day that is parallel to the
Earth’s axis of rotation. The Coriolis parameter is
equal to twice the magnitude of the vector component
that is parallel to the local vertical. The vertical
component is the only component that creates hori-
zontal Coriolis accelerations with horizontal flow.
This dependence on the local vertical and the spheri-
city of the Earth explain the sin (latitude) factor in the
formula for f. Thus, for any given flow, Coriolis
accelerations are strongest at the poles, negligible at
the Equator, and smoothly varying in between. As
discussed below, this geometric detail has profound
implications for the surface/wind-driven circulation.

Consider a typical mixed-layer depth of 30m at
mid-latitudes, where f � 10�4 s�1. By relating these
two quantities to an Ekman depth D, one deduces a
vertical eddy viscosity Av � 0:05m2 s�1. This value is
many orders of magnitude larger than the kinematic
viscosity of water, v � 10�6 m2 s�1. The enormity of
Av indicates the efficiency of turbulent mixing com-
pared with molecular diffusion. But Av arises from the
use of Fick’s law to parameterize the turbulence, and
Fick’s law is an oversimplifiedmodel for turbulence. In
fact, details of the wind-mixed layer that depend
heavily on Av, such as spiraling velocities, are rarely
observed.

There is, nevertheless, one very important and
robust conclusion from Ekman theory. The net mass
transport (the Ekman transport) within the mixed
layer, i.e., the vertical integral of the horizontal flow,
has magnitude given by eqn [3], where r is the density
of water. This result does not depend on Av. Thus,
while the details and vertical extent of the Ekman flow
depend on the complexities of mixing, the net Ekman
transport does not. Furthermore, Ekman theory pre-
dicts that the net transport UE is directed 901 to the
right of the wind in the Northern Hemisphere and 901
to the left of the wind in the Southern Hemisphere.
This result is quite contrary to what one would find if
the Earth were not rotating.

UEkman ¼ t=ðrf Þ ½3�

The Ekman transport describes the net horizontal
motion in a thin surface mixed layer. Implications for
flows in the interior of the ocean depend on the large-
scale patterns in the wind stress, as shown in Figure 2.
In particular, westward wind stress near the Equator
results in poleward Ekman mass transport and east-
ward wind stress at higher latitudes drives equator-
ward Ekman transport. This pattern results in a

convergence of fluid that gives rise to an elevated sea
surface at the center of the clockwise wind system.
Ultimately, this horizontally convergent Ekman trans-
port has only one direction to go: down. The resultant
downward motion at the base of the mixed layer,
called Ekman pumping, occurs in all mid-latitude
ocean basins. Likewise, at higher latitudes, counter-
clockwise wind systems cause horizontally divergent
Ekman transport, a depressed sea surface, and an
upward motion known as Ekman suction.

In the classic wind-driven ocean circulation models
discussed below, vertical Ekman flows drive the
horizontal geostrophic flow. In fact, the net effect of
all the complex motions in the mixed layer is often
reduced to a simple prescription of the vertical Ekman-
pumping velocity, eqn [4], in which curl ðt=rf Þ
represents the curl of the surface wind-stress vector
divided by rf. Thus, it is not simply the magnitude of
the wind stress that determines the Ekman pumping
velocities, but its spatial distribution. The Ekman
pumping velocity is often applied as a boundary
condition at the sea surface associated with a neglig-
ibly thin mixed layer.

wEkman ¼ curl ðt=rf Þ ½4�

On average, Ekman pumping speeds rarely exceed
one micron per second. Nevertheless, such miniscule
vertical velocities give rise to the most massive current
systems in the ocean. This remarkable fact reflects the
enormous constraint that the Earth’s rotation plays in
large-scale ocean dynamics.

Large-Scale Dynamics

Thedirectlywind-drivenflowswithin theEkman layer
occupy only a small fraction of the total water column.
In fact, the impact of the wind extends considerably
deeper. The connection between the minute Ekman
pumping velocities and the tremendous horizontal
flows associated with the surface/wind-driven circu-
lation involves a balance of forces that is very different
from that in the surface mixed layer.

Far from continental boundaries, and below the
surface mixed layer, the basin-scale circulation varies
on length scales measured in thousands of kilometers.
The time-averaged horizontal velocities sometimes
exceed 1m s�1, but theymore generally vary between 1
and 10 cm s�1. With these scales, flows are plausibly
geostrophic. Furthermore, when the density is uni-
form, geostrophic flows exhibit no vertical variation.
Rather, they behave like a horizontal continuum of
vertical columns of fluid. It is reasonable to approx-
imate the region between the mixed layer and the
thermocline as a region of constant density. In this
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region the geostrophic columns of fluid span many
hundreds of meters. The earliest models of the ocean
circulation obtained remarkable predictive skills by
assuming that columnar geostrophic flow extends
from the top to the bottom of the ocean.

Downward Ekman pumping velocities, as small as
they may be, effectively compress the fluid columns.
Under the influence of downward Ekman pumping,
fluid columns below the mixed layer compress verti-
cally and expand horizontally, as if they were con-
serving their total volume. Likewise, Ekman suction
causeswater columns to stretch vertically and contract
horizontally. Because of the Earth’s rotation, the effect
of Ekman pumping and suction on large-scalemotions
is related to the principle of angular momentum
conservation in classical mechanics. For example, a
water column that undergoes the stretching effect of
Ekman suction is not unlike a rotating figure skater
who draws in her arms, thereby decreasing her
moment of inertia and rotating more rapidly. (Note:
the analogy is incomplete because Ekmanpumping is a
consequence of external forcing, whereas the spinning
skater is unforced. Nevertheless, the comparison is
physically relevant.) Ekman pumping is then similar to
a skater extending her arms, which causes a reduced
rate of spin.

The connection between water-column stretching
and horizontal flow in the ocean involves one addi-
tional subtle point: water columns on the Earth rotate
by virtue of their location on the Earth’s surface.
Vertical fluid columns that appear stationary in the
Earth’s frame of reference are actually rotating at a
rate that is proportional to the vertical component of
the Earth’s angular velocity. The absolute rotation rate
is the sum of the Earth’s rotation plus the rotation
relative to the Earth. More precisely, the fluid’s
absolute vorticity includes a contribution from the
planetary vorticity, which has magnitude equal to the
Coriolis parameter f, plus a contribution from its
relative vorticity.

Relative vorticity is measured from a frame of
reference that is fixed on the Earth’s surface. The Earth
itself rotates at a rate of one revolution per day. In
comparison, large-scale ocean currents progress
around an ocean basin at average speeds much less
than1ms�1, so the periodof rotation associatedwith a
complete circuit can take years. Thus, the relative
rotation rate of large-scale ocean currents is negligible
comparedwith the rotation rate of the Earth itself. For
this reason, it is a very good approximation to neglect
the relative vorticity and equate the vorticity of the
large-scale circulation with f . The critically important
result is that fluid columns change their vorticity by
changing their latitude. Just as the skater who extends
her arms starts to rotate more slowly, a water column

undergoing the compression of Ekman pumping will
travel toward the equator where the magnitude of f is
smaller.

The physical mechanism that connects Ekman
pumping and subsurface geostrophic flow was de-
scribed mathematically by Ulrik Sverdrup in 1947,
and is summarized by the Sverdrup relation, eqn [5],
where V represents the meridional (positive north-
ward) velocity integrated over the depth H of the
water column, b ¼ ð1=RÞ qf=q (latitude) is the merid-
ional variation in the Coriolis parameter, R is the
radius of the Earth, wEkman is the Ekman pumping
velocity, and wdeep is a vertical velocity at depthH. In
this model, V is the depth-integrated geostrophic
velocity. While prescription of wdeep is discussed
further under Topography, Stratification, and Nonlin-
earity, the early models of the wind-driven circulation
assumed that wdeep ¼ 0 at some depth well below the
main thermocline. Thus, V can be estimated using the
Sverdrup relationwithwEkman prescribed using eqn [4]
and measurements of wind. V computed this way
agrees remarkably well with V computed from geo-
strophic flows estimated from the observed density
field. The agreement is good everywhere except near
the western boundaries of the ocean basins.

bV ¼ f ðwEkman �wdeepÞ ½5�

Westward Intensification

While the Sverdrup relation provides guidance for the
ocean interior, it cannot describe the basin-wide
circulation. From a mathematical viewpoint, the
Sverdrup relation is a purely local relation between
wind stress and meridional flow, so it does not
determine east–west flow within the basin. Moreover,
the Sverdrup relation predicts thatV will be large only
where wEkman is large. In fact, V is observed to be
largest in the intense western boundary currents found
in each ocean basin, such as the Gulf Stream. This is
problematic because wEkman fails to exhibit the west-
ward intensification, or a change in sign. This means
that the Sverdrup relation predicts weak western
boundary flow in the wrong direction! Thus, the
Sverdrup balance must break down, at least in certain
regions.

It is common to presume that Sverdrup theory holds
everywhere in the ocean interior except near the
western ocean boundary. Then, V can be integrated
from east to west to determine the total transport
required in a poleward western boundary current that
returns the meridional Sverdrup transport back to its
place of origin. This calculation comes close to
predicting the observed transport in the poleward
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traveling Gulf Stream at some locations. But models
that predict the structure and location of the return
flow require fundamentally different dynamics.

In 1948, Henry Stommel explored an extension to
Sverdrup’s theory by adding bottom friction to the
Sverdrup dynamics. In the ocean interior, the Stommel
and Sverdrup dynamics are nearly indistinguishable.
But bottom friction becomes important near the
western boundary, allowing Stommel’s model to
predict a closed circulation for the entire ocean basin
(Figure 5). The friction-dominated western boundary
layer contains the intense poleward analog of the Gulf
Stream. Stommel showed the remarkable fact that
westward intensification of the wind-driven gyres
is fundamentally linked to the latitudinal variation of
the Coriolis parameter. That is, the Gulf Stream and
its western-boundary analogs in all the ocean basins
exist because of the sphericity of the rotating Earth
(Figure 6).

Friction is the key to closing the circulation cell. In
Stommel’s model the friction parameterization was

chosen for its simplicity, but it is ultimately unrealistic.
In 1950,WalterMunk developed a similar flat-bottom
model with lateral viscosity, an entirely different form
of dissipation. Nevertheless, Munk’s model produces
an intense western boundary current for the same
reasons as the Stommel model.

The primary results from these frictional models are
robust. Both theories deduce the zonal flowwithin the
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basin, and share the central conclusion that the return
flow for the interior Sverdrup transport occurs in a
meridional current near the western edge of the basin.
This current is an example of a boundary layer, a
narrow region governed by different physical balances
than those dominating the larger domain. In the
western boundary layer, fluid columns can change
latitude because dissipation changes their vorticity,
thereby counteracting the effects introduced by the
Ekman pumping or suction. Both models show that
this dissipativemechanismcanonly occur in an intense
western boundary layer.

Dissipation in both models actually parameterizes
many interesting smaller-scale phenomena. This is
evident in Munk’s model. The horizontal viscosity
needed to produce a realistic Gulf Stream is many
orders of magnitude larger than molecular viscosity,
larger even than Ekman’s vertical eddy viscosity, Av.
Modern theories show that these viscous parameter-
izations for ocean turbulence greatly oversimplify the
effect of small-scale motions on the large-scale circu-
lation. But more importantly, the Stommel andMunk
models neglect the fact that the ocean has variable
depth and density stratification.

Topography, Stratification, and
Nonlinearity

The simplified Stommel and Munk models describe
the wind-driven circulation for a rectangular ocean
that has uniform density, a flat bottom, and vertical
side walls. It remains to put these idealized models in
context for an ocean that has density stratification,
mid-ocean ridges, and continental slopes and shelves.
The flat-bottom constant-density models clearly over-
simplify the ocean geometry. Were the mid-ocean
ridges placed on land, they would stand as tall as the
Rockies and the Alps. The assumption of constant
density turns out to be an oversimplification of
comparable proportions.

In flat-bottommodels, deep currents are unimpeded
by topographic obstructions. With realistic bathyme-
try, however, flow into regions of varying depth can
lead to large vertical velocities. For rotating fluid
columns, these vertical velocities correspond to bot-
tom torques that affect vorticity. Computer models
that add realistic bathymetry and Ekman pumping to
the Stommel or Munk models show that the bottom
torques can substantially alter the flow pattern, so
much so that the flows in the center of the ocean no
longer resemble the observed surface circulation.
Thus, in idealized constant-density models, realistic
bathymetry eliminates the most remarkable similari-
ties between the models and the ocean observations.

This conundrum can be reconciled in a model that
has variable density. In a constant-density ocean,
geostrophic fluid columns extend all the way to the
bottom. This allows bottom topography to have an
unrealistically strong influence on the flow. Density
stratification reduces the vertical extent of columnar
motion. Conceptually, a stratified ocean behaves
almost like a series of distinct layers, each with
variable thickness and constant density. For example,
the main thermocline may be considered an interface
between one continuum of fluid columns in a surface
layer and a second continuum of fluid columns in an
abyssal layer. Generalizations of the Stommel and
Munk models have often treated the ocean as two
distinct layers of fluid.

The main thermocline varies smoothly compared
with the ocean bottom. This means there are fewer
obstructions to the columnar flow above the therm-
ocline than below. In this sense, the thermocline
effectively isolates the ocean bathymetry from the
surface circulation. In fact, observed currents above
the main thermocline tend to be stronger. While the
Sverdrup theory applies to the top-to-bottom trans-
port, stratification allows the flow to be surface
intensified. Smaller abyssal velocities reduce the influ-
ence of bottom topography. Flat-bottom models
describe a limiting case where the topographic effects
are identically zero.

Without question, the vertical extent of the large-
scale wind-driven circulation is linked to density
stratification. Realistic models of the large-scale
circulation must include thermodynamic processes
that affect temperature, salinity, and density structure.
For example, atmospheric processes change the heat
and fresh water content of the surface mixed layer.
Large-scalemotions can result when thewater column
becomes unstable, with more dense water overlying
less dense water. The resultingmotion is often referred
to as the thermohaline circulation, as distinct from the
wind-driven circulation. But the conclusion to be
drawn from the more realistic ocean circulation
models is that the thermohaline circulation and the
wind-driven circulation are inextricably linked.

Additional factors come into play in the more
comprehensive ocean models. For example, persistent
temperature and salinity structure of the ocean indi-
cates that many large-scale features in the ocean have
remained qualitatively unchanged for decades, per-
haps even centuries. But there are no simple (linear)
theories that predict the existence of the thermocline.
The transport andmixing of density by ocean currents
are inherently nonlinear effects. Other classes of
nonlinearities inherent to fluid flow add other types
of complexity. Such nonlinear effects account for Gulf
Stream rings, mid-ocean eddies, and much of the
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distinctly nonsteady character of the ocean circula-
tion. Ocean currents are remarkably variable. Varia-
bility on much shorter time scales of weeks and
months, and length scales of tens and hundreds of
kilometers, often dominates the larger-scale flows
discussed in this article. Thus, it is not appropriate to
think of the ocean circulation as sluggish, linear, and
steady. Instead, it is more appropriate to think of the
ocean as a complex turbulent environment with its
own analogs of unpredictable atmospheric weather
systems and climate variability. Nevertheless, the
simplified theories of steady circulation illustrate
important mechanisms that govern the time-averaged
flows.

In closing, two ocean regions deserve special men-
tion: the equatorial ocean and the extreme southern
ocean. Equatorial regions have substantially different
dynamics compared with models discussed above
because Coriolis accelerations are negligible on the
Equator,where f ¼ 0. Thewind-related processes that
govern El Niño and the Southern Oscillation, for
example, depend critically on this fact. The southern
ocean distinguishes itself as the only region without a
western (or eastern) continental boundary. This ab-
sence of boundaries produces a circulation character-
istic of the atmosphere, with intense zonal flows that
extend around the globe. They represent some of the
most intense large-scale currents in the world, and

derive much of their energy from the wind. So they,
too, represent an important part of the surface/wind-
driven circulation.

See also

Air–Sea Interaction: Momentum, Heat and Vapor
Fluxes. Boundary Layers: Ocean Mixed Layer. Ocean
Circulation: General Processes.
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Introduction

The circulation of the ocean is usually divided into two
parts, a wind-driven circulation that dominates in the
upper few hundred meters, and a density-driven
circulation that dominates below. The latter is called
the ‘thermohaline’ circulation because of the role of
heating, cooling, freshening, and salinification in
producing regional density differences within the
ocean. The thermohaline circulation, for the most
part, is an ‘overturning’ circulation in which warm
water flows poleward near the surface and is subse-
quently converted into cold water that sinks and flows
equatorward in the interior. Radiocarbon measure-
ments show that the thermohaline circulation turns

over all the deep water in the ocean every 600 years
or so.

The most spectacular features of the thermohaline
circulation are seen in the sinking phase, in the
formation of new deep water in the North Atlantic
and the Southern Ocean. Large volumes of cold polar
water can readily be observed spilling over sills,
mixing violently with warmer ambient water, and
otherwise descending to abyssal depths. The main
features of the upwelling phase are less obvious. Most
of the gaps in our knowledge about the thermohaline
circulation are due to uncertainty about where the
upwelling occurs and how upwelled deep water
returns to the areas of deep water formation. The
main new development in studies of the thermo-
haline circulation is the role of Drake Passage and
the Antarctic Circumpolar Current (ACC) in the
upwelling phase.

The thermohaline circulation is an important factor
in the Earth’s climate because it transports roughly
1015W of heat poleward into high latitudes, about
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one-fourth of the total heat transport of the ocean–
atmosphere circulation system. The upwelling branch
of the thermohaline circulation is important for the
ocean’s biota as it brings nutrient-rich deepwater up to
the surface. The thermohaline circulation is thought to
be vulnerable to the warming and freshening of the
Earth’s polar regions associated with global warming.

The Cooling Phase — Deep Water
Formation

The most vigorous thermohaline circulation in the
ocean today is in the Atlantic Ocean, where the
overturning is often likened to a giant conveyor belt.
The upper part of the conveyor carries warm, upper-
ocean water through the tropics and subtropics
toward the north, while the deep part carries cold,
dense polar water southward through the Atlantic,
around the tip of Africa, and into the ocean beyond.
TheAtlantic thermohaline circulation converts rough-
ly 15�106m3 s�1 of upper ocean water into
deep water. (Oceanographers designate a flow rate
of 1�106m3 s�1 to be 1 Sverdrup, or 1 Sv. All the
world’s rivers combined deliver about 1 Sv of fresh
water to the ocean.) Most of the 15 Sv flow of the
upper part of the Atlantic thermohaline circulation
passes through the Florida Straits and up the east coast
of North America as part of the Gulf Stream. The path
of the conveyor cuts eastward across the Atlantic and
continues northward along the coast of Europe. The
warmwater flowing northward in the northern North
Atlantic gives up roughly 50W of heat per square
meter of ocean surface to the atmosphere. This heat
flux is comparable to the solar energy reaching the
lowest layers of the atmosphere during the winter
months and is a significant factor in the climate of
northern Europe.

As the upper part of the Atlantic thermohaline
circulationmoves northward through the tropical and
subtropical North Atlantic, it spans a depth range
from the surface down to B800m and has a mean
temperature of some 15–201C. During its transit
through the tropics and subtropics, the flow becomes
saltier owing to the excess of evaporation over
precipitation in this region. It also becomes warmer
and saltier by mixing with the salty outflow from the
Mediterranean Sea. By the time the flow has crossed
the 501N parallel into the subpolar North Atlantic, it
has cooled to an average temperature of 11.51C.
Roughly half of the water carried northward by the
thermohaline circulation flows into the Norwegian
Sea between Iceland andNorway. Part of the conveyor
flow extends into the Arctic Ocean.

The final stages of the cooling processmake the salty
North Atlantic water dense enough to sink. Sinking is

known to occur in three main places. The densest
sinking water in the North Atlantic is formed in the
Barents Sea north of Norway, where salty water from
the Norwegian Current is exposed to the atmosphere
on the shallow ice-free Barents Shelf. Roughly 2 Sv of
water from the Norwegian Current crosses the shelf
and sinks into the Arctic basin after being cooled
to 01C. This water eventually flows out of the
Arctic along the coast of Greenland at a depth of
600–1000m. The volume of this flow is increased by
additional sinking and open-ocean convection in the
Greenland Sea north of Iceland. A mixture of these
two water masses flows into the North Atlantic over
the sill between Iceland and Greenland (Denmark
Strait) at 600m.

As water at 01C from the Arctic andGreenland Seas
passes through Denmark Strait it mixes with Atlantic
water at 61C beyond the sill and descends the
Greenland continental slope down to a depth of
3000m. It flows southward around the southern tip of
Greenland into the Labrador Sea as part of a deep
boundary current that follows the perimeter of the
subpolar North Atlantic. A slightly warmer water
mass is formed by open-ocean convection within the
Labrador Sea. The deep water formed in the Labrador
Sea increases the volume flow of the boundary current
that exits the subpolar North Atlantic beyond the
eastern tip of Newfoundland.

Newly formed water masses are easy to track by
their distinct temperature and salinity signatures, high
oxygen, and anthropogenic tracer concentrations. The
southward flow of North Atlantic Deep Water
(NADW) is a prime example. NADW is identified as
a water mass with a narrow spread of temperatures
and salinities between 2.0 and 3.51C and 34.9 and
35.0 psu. NADW quickly ventilates the Atlantic
Ocean. Figure 1 illustrates an oceanographic section
between the southern tip of Greenland and the coast
of Labrador, showing recent ventilation by chloro-
fluorocarbon 11 (CFC-11, or Freon 11). High-CFC
water with concentrations in excess of 3.0 units
(3.0�10�15 pmol kg�1) tags the overflow water from
Denmark Strait that flows around the tip ofGreenland
along the sloping bottom on the right into the
Labrador Sea. Deep water with a slightly lower CFC
concentration flows out of the Labrador Sea at the
same depth on the left. High-CFC water in the center
of the basin (3.5–4.0 units) tags Labrador Sea Water
that has been ventilated by winter convection down to
2000m. There is presently no water in the North
Atlantic north of 301N that is uncontaminated with
CFCs.

NADW flows southward along the coasts of North
and South America until it reaches the circumpolar
region south of the tip of Africa. Figure 2 shows the
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distribution of salinity in the western Atlantic along
the path of the flow. Newly formed NADW salinity
(S434.9 psu) is easily distinguished from the relative-
ly fresh intermediate water above (So34.6 psu) and
the Antarctic water below (So34.7 psu).NADWexits
the Atlantic south of Africa between 351 and 451 S and

joins the eastward flow of the ACC. Traces of NADW
re-enter the Atlantic Ocean through Drake Passage
(551–651 S) with a salinity in excess of 34.7 psu after
flowing all the way around the globe.

The other major site of deep-water formation
is the coast of Antarctica. The surface waters around
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Antarctica, like those over most of the Arctic Ocean,
are ice covered during winter and are too fresh to sink.
Deep water below 500m around Antarctica, on the
other hand, is relatively warm (1.51C) and fairly salty
(34.70–34.75psu).Thiswatermass, knownasCircum-
polar Deep Water (CDW), penetrates onto the rela-
tively deep continental shelves around Antarctica,
where it is cooled to the freezing point. Rejection of
brine in the formation of new sea ice maintains fairly
high salinities on the shelf despite the freshening effects
of precipitation and the input of glacial meltwater.
Supercooled shelf water is observed to flow out from
under floating ice shelves where contact with glacier
ice cools shelf water to temperatures below the
freezing point. Very cold, salty shelf water (� 11C,
34.6–34.7 psu) is observed descending the continental
slope to the bottom in the Weddell Sea. Bottom water
is also observed to form off the Adelie Coast south of
Australia (B1401E).

The volume of new deep water formed on the
Antarctic shelves is not very large in relation to the
volume of deep water formed in the North Atlantic,
perhaps 3–4 Sv in total. However, the deep water
formed around Antarctica is denser and is able to sink
below NADW in the south. The deep water formed
around Antarctica does not readily ventilate the
Southern Ocean. It is diluted many times by mixing
with the weakly ventilated water offshore. Figure 3
shows CFC-11 concentrations along a transect at
1401E that begins on the Antarctic continental shelf
on the left. This section was occupied at roughly the

same time as the North Atlantic section in Figure 1. In
contrast to Figure 1, water with more than 3.0 units of
CFC-11 is limited to near-surface waters and the
continental shelf. A small amount of recently venti-
lated water (41.0 units) is seen descending to the
bottom along the continental slope. The mass of old
CFC-free water that fills the interior is CDW. The
mixture of Antarctic shelf water andCDWdescending
the slope is Antarctic Bottom Water (AABW). AABW
occupies the deepest parts of the ocean and is observed
penetrating northward into the Atlantic, Indian, and
Pacific Oceans through deep passages in themidocean
ridge system.

Small quantities of deep water are also observed
to form in evaporative seas like the Mediterranean
and Red Seas. These water masses are dense because
of their high salinities. They tend to form intermedi-
ate-depth water masses in relation to the colder deep
and bottom waters from the North Atlantic and
Antarctica.

The Warming Phase — Upwelling
and the Return Flow

The upwelling of deep water back to the ocean’s
surface was thought at one time to be widely distrib-
uted over the whole ocean. This variety of upwelling
was linked to turbulent mixing processes that were
hypothesized to be active throughout the interior.
Mixing was thought to be slowly heating the deep
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ocean, making the old deep water in the interior
progressively less dense so that it could be displaced
upward by the colder and saltier deep waters forming
near the poles. Since the main areas of deep water
formation are located at either end of the Atlantic, and
since most of the ocean’s area is found in the Indian
and Pacific Oceans, it stood to reason that the
warming of the return flow should be widely distrib-
uted across the Indian andPacific. Schematic diagrams
often depict the closure of the conveyor circulation as a
flow of warm upper-ocean water that passes from the
North Pacific through Indonesia, across the Indian
Ocean, and then around the tip of Africa into the
Atlantic.

Observationsmade over the last 30 years have failed
to support the idea of a broad, diffuse upwelling.
Attempts to directlymeasure turbulent mixing rates in
the interior have shown that the actual mixing rates
are generally only about 10% or 20% of the amount
required. There is no indication that any deep water is
actually upwelling to the surface in the warm parts of
the Indian and Pacific Oceans.Mixing does seem to be
effective in warming the deepest part of the ocean,
however. Modern circulation reconstructions show
AABWflowingnorthward into the Indian, Pacific, and
Atlantic basins at 01C, upwelling across 3500m, and
exiting back to the south at less than 21C between
2000 and 3500m. This indicates that the circulation
and heat transport associatedwithmixing in the ocean
is quite weak and is limited to the volume of ocean
ventilated by AABW.

It nowappears thatmost, if not all, of the deepwater
sinking in the North Atlantic upwells back to the
surface in the Southern Ocean south of the ACC. The
upwelling in this case seems to occur within the
channel of open water that circles the globe in the
latitude band of Drake Passage (551–651 S). Drake
Passage lies within the belt of midlatitude westerlies.
The flow in the surface Ekman layer is directed
northward and is divergent (upwelling favorable)
within the channel. A key dynamical factor in this
problem is the lack of meridional barriers in the upper
1500m of the Drake Passage channel. Without
meridional barriers, there can be no net geostrophic-
ally balanced flow into the channel above 1500m to
balance the northward flow in the surface Ekman
layer. This means that the winds, in driving surface
waters northward out of the open channel, tend to
drawupold deepwater to the surface fromdepths near
1500m.

The deep water upwelled to the surface and driven
northward out of the Drake Passage channel is forced
down into the thermocline on the north side of the
ACC where the flow in the surface Ekman layer is
convergent. Numerical experiments with ocean gen-

eral circulation models show that much of the water
forced down into the thermocline all around the
circumpolar belt eventually makes its way into the
Atlantic Ocean, where it is converted into deep water
in the northern North Atlantic. The action of the
winds in the channel, in drawing up deep water from
the ocean’s interior, has been shown to actively
enhance the formation of deep water in the North
Atlantic.

The deepwater drawnup to the surface by thewinds
in Drake Passage is quite cold. As this cold water
comes into contact with the atmosphere and is carried
northward, it takes up solar heat that otherwisewould
be available to warm the Southern Ocean and
Antarctica. The Atlantic conveyor carries this south-
ern heat across the Equator into the high latitudes of
the Northern Hemisphere, where it is released to the
atmosphere when new deep water is formed in the
north. The thermohaline circulation thereby warms
the North Atlantic at the expense of a colder Southern
Ocean and colder Antarctica. Indeed, sea surface
temperatures at 601N in the North Atlantic are on
average about 61C warmer than sea surface temper-
atures at 601 S.

If the warming phase of the thermohaline circula-
tion involved a downward mixing of heat through the
thermocline in low and middle latitudes, as once
thought, the thermohaline circulation would carry
tropical heat poleward into high latitudes. The
warming phase now seems to take place in the far
south where the warming is associated with an
equatorward transport of heat. This means that the
heat transport by the thermohaline circulation is
opposed to the heat transport of the atmosphere in
the Southern Hemisphere. The net effect is a weaken-
ing of the overall heat transport in the Southern
Hemisphere and a strengthening of the heat transport
in the Northern Hemisphere.

General Theory for the Thermohaline
Circulation

Figure 4 is a north–south section showing the distri-
bution of density through the Atlantic Ocean. The
main thermocline in this diagram lies close to the
surface, between the 34.0 (B201C) and 36.0 (B81C)
g kg�1 isopycnals. The northward flow of the Atlantic
thermohaline circulation takes place largely within
this part of the density field. The northward flow in the
far south starts off a bit denser and colder, as low as
36.6 g kg�1. The southward flow of NADW is located,
for the most part, below the 37.0 g kg�1 isopycnal.

The isopycnals at the base of the thermocline in
Figure 4 are basically flat north of 401 S but rise up to
the surface between 401 and 601 S. The rise of these
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isopycnals in the south is a reflection of the ACC,
which flows to the east across the section (out of the
page): i.e., the north–south density gradient between
401 and 601 S is in thermal wind balance with an
eastward flow that increases toward the surface. The
relatively deep and flat position of the isopycnals at
the base of the thermocline reflect, to a large extent, the
mechanical work done by the winds that drive the
ACC. The convergent surface flow generated by
the winds pushes down relatively light water north
of the ACC in relation to the cold, dense water being
lifted up by the winds south of the ACC.

The position of the 36.0 and 36.4 g kg�1 isopycnals
at depths near 1000m is important because it signals
the presence of relatively warm water adjacent to the
sills in the northwhere newNADWspills into the deep
North Atlantic. It is the contrast between the cold
water behind the sills and relatively warm water
beyond the sills that provides the density gradient that
drives the flow of dense water into the deep Atlantic.
Numerical experiments carried out in ocean GCMs
suggest that all the warm isopycnals in the lower
thermocline would be squeezed up into the main
thermocline if Drake Passage were to be closed up and
the ACC eliminated.

Gnanadesikan has described a general theory for the
thermohaline circulation that relates the thickness of
the thermocline, as illustrated in Figure 4, with the
intensity of the Atlantic conveyor. When deep water
formation occurs in the North Atlantic, it converts

relatively low-density water within the thermocline
into new deepwater. It thereby removesmass from the
thermocline, allowing it to be squeezed upward.When
water is upwelled from the deep ocean and pumped
into the thermocline in the south, it adds mass to the
thermocline, causing it to thicken downward. In this
way the thermocline thickness reflects a balance
between the addition of mass to the thermocline via
winds in the south, the addition of mass via upwelling
from below (presumably minor), and the loss of mass
by deep water formation in the north. Gnanadesikan
also includes the potentially important effect of eddies
in the ACC, which tend to drain mass from the
thermocline in opposition to the wind effect. The
strength of the conveyor in Gnanadesikan’s scheme is
reduced to a simple function of the thermocline
thickness and the density difference between thermo-
cline water and deep water.

Instability of the Thermohaline
Circulation

Cooling of the ocean in high latitudes makes polar
surface waters denser in relation to warmer waters at
lower latitudes. Thus cooling contributes to a stronger
thermohaline circulation. The salinity section through
the Atlantic Ocean in Figure 1 gives one a superficial
impression that haline forces also make a positive
contribution to the thermohaline circulation. This is
actually not true. The cycling of fresh water between
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the ocean and atmosphere (the hydrological cycle)
results in a net addition of fresh water to high latitudes
that reduces the density of polar surface waters. Thus,
the haline contribution to the thermohaline circula-
tion is nearly always in opposition to the thermal
forcing. The Earth’s hydrological cycle is expected to
become more vigorous in the future with global
warming. This is expected to weaken the ther-
mohaline circulation in a way that could be fairly
abrupt and unpredictable.

North Atlantic Deep Water is salty because the
water in the upper part of the conveyor flows through
zones of intense evaporation in the tropics and
subtropics. If the rate at which new deep water is
forming is relatively high, as it seems to be at the
present time, the sinking water removes much of the
fresh water added in high latitudes and carries it into
the interior. The added fresh water in this case dilutes
the salty water being carried into the deep water
formation areas but does not erase the effect of
evaporation in low latitudes. Thus, NADW remains
fairly salty and is able to export fresh water from the
Atlantic basin. (The key factor here is that NADWat
depth is actually a bit fresher than the water flowing
northward.)

If the rate of deep water formation is relatively low,
however, or the hydrological cycle is fairly strong, the
export of fresh water via NADW is reduced and the
fresh water added in high latitudes tends to accumu-
late. There seems to be a critical threshold of fresh
water input for maintaining the Atlantic conveyor. If
the fresh water input is close to the threshold, the
overturning becomes unstable and may oscillate over
time. If the freshwater input exceeds the threshold, the
haline effect overwhelms the thermal effect and the
thermohaline circulation stops dead.

Manabe and Stouffer have projected that a fourfold
increase in atmospheric CO2 would increase the
hydrological cycle sufficiently that the Atlantic con-
veyor might collapse. This would lead to a substan-
tially deeper thermocline and a shift in the heat
exchange between the hemispheres. It would also lead
to a drastic reduction in the rate at which nutrients are
supplied to the upper ocean biota and a reduction in
the oxygen content of deep water.

See also

General Circulation: Models; Overview. Ocean Circu-
lation: General Processes; Surface–Wind Driven Circula-
tion; Water Types and Water Masses.
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Introduction

Muchofwhat is known today about the currents of the
deep ocean has been inferred from studies of the water
properties such as temperature, salinity, dissolved
oxygen, and nutrients. These are quantities that can be
observed with standard hydrographic measurement
techniques which collect temperatures and samples of
water with a number of sampling bottles strung along
a wire to provide the depth resolution needed. Salinity
or ‘salt content’ is then measured by an analysis of the
water sample, which combined with the correspond-
ing temperature value at that ‘bottle’ sample yields
temperature and salinity as a function of depth of the
sample. Modern observational methods have in part
replaced this sample bottle method with electronic
profiling systems, at least for temperature and salinity,
but many of the important descriptive quantities such
as oxygen and nutrients still require bottle samples
accomplished todaywith a ‘rosette’sampler integrated
with the electronic profiling systems. These new
electronic profiling systems have been in use for over
30 years, but still the majority of data useful for
studying the properties of the deep and open ocean
come from the time before the advent of modern
electronic profiling system. This knowledge is impor-
tant in the interpretation of the data since the
measurements from sampling bottles have very differ-
ent error characteristics than those from modern
electronic profiling systems.

This article reviews the mean properties of the open
ocean, concentrating on the distributions of the major
water masses and their relationships to the currents of
the ocean. Most of this information is taken from
published material, including the few papers that
directly address water mass structure, along with the
many atlases that seek to describe the distribution of
water masses in the ocean. Coincident with the shift
from bottle sampling to electronic profiling is the shift
from publishing information about water masses and
ocean currents in large atlases to the more routine
research paper. In these papers the water mass char-
acteristics are generally only a small portion, requiring
the interested descriptive oceanographer to go to
considerable trouble to extract the information he or
she may be interested in. While water mass distribu-
tions play a role in many of today’s oceanographic

problems, there is very little research directed at
improving our knowledge of water mass distributions
and their changes over time.

What is a Water Mass?

The concept of a ‘water mass’ is borrowed from
meteorology, which classifies different atmospheric
characteristics as ‘air masses’. In the early part of the
twentieth century physical oceanographers also
sought to borrow another meteorological concept
separating the ocean waters into ‘warm’ and ‘cold’
water spheres. This designation has not survived in
modern physical oceanography but the more general
concept of water masses persists. Some oceanogra-
phers regard these as real, objective physical entities,
building blocks from which the oceanic stratification
(vertical structure) is constructed. At the opposite
extreme, other oceanographers consider water masses
to be mainly descriptive words, summary shorthand
for pointing to prominent features in property distri-
butions.

The concept adopted for this discussion is squarely
in the middle, identifying some ‘core’ water mass
properties that are the building blocks. Inmost parts of
the ocean the stratification is defined bymixing in both
vertical and horizontal orientations of the various
watermasses that advect into the location. Thus, in the
maps of the various water mass distributions a
‘formation region’ is identified where it is believed
that the core water mass has acquired its basic
characteristics at the surface of the ocean. This
introduces a fundamental concept first discussed by
Iselin (1939), who suggested that the properties of the
various subsurface water masses were originally
formed at the surface in the source region of that
particular water mass. Since temperature and salinity
are considered to be ‘conservative properties’ (prop-
erty is only changed at the sea surface), these charac-
teristics would slowly erode as the water properties
were advected at depth to various parts of the ocean.

Descriptive Tools: The TS Curve

Before focusing on the global distribution of water
masses, it is appropriate to introduce some of the basic
tools used to describe these masses. One of the most
basic tools is the use of property versus property
plots to summarize an analysis by making extrema
easy to locate. The most popular of these is the
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temperature–salinity or TS diagram, which relates
density to the observed values of temperature and
salinity. Originally the TS curve was constructed for a
single hydrographic cast and thus related the TS values
collected for a single bottle sample with the salinity
computed from that sample. In this way there was a
direct relationship between the TS pair and the depth
of the sample. As the historical hydrographic record
expanded it became possible to compute TS curves
from a combination of various temperature–salinity
profiles. This approach amounted to plotting the TS
curve as a scatter diagram (Figure 1) where the salinity
values were then averaged over a selected temperature
interval to generate a discrete TS curve. The TS curve

shown in Figure 1, which is an average of all of the
data in a 101 square just north east of Hawaii,
shows features typical of those that can be found
in all TS curves. As it turned out the temperature–
salinity pair remained the same while the depth of this
pair oscillated vertically by tens of meters, resulting in
the absence of a precise relationship between TS pairs
and depth. As sensed either by ‘bottle casts’ or by
electronic profilers, these vertical variations express
themselves as increased variability in the temperature
or salinity profiles while the TS curve continues to
retain its shape, now independent of depth. Hence a
composite TS curve computed from a number of
closely spaced hydrographic stations no longer has a
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specific relationship between temperature, salinity
and depth.

As with the more traditional ‘single station’ TS
curve, these area average TS curves can be used to
define and locate water masses. This is done by
locating extrema in salinity associated with particular
watermasses. The salinityminimum in the TS curve of
Figure 1 is at about 101C, where there is a clear
divergence of TS values as they move up the temper-
ature scale from the coldest temperatures near the
bottomof the diagram.There are two separate clusters
of points at this salinity minimum temperature with
one terminating at about 131C and the other transi-
tioning on up to the warmest temperatures. It is this
termination of points that results in a sharp turn in the
mean TS curve and causes a very wide standard
deviation. These two clusters of points represent two
different intermediate level water masses. The rela-
tively high salinity values that appear to terminate at
131C represent the Antarctic Intermediate Water
(AIW) formed near the Antarctic continent, reaching
its northern terminus after flowing up from the
south. The coincident less salty points indicate the
presence of North Pacific Intermediate Water moving
south from its formation region in the northernGulf of
Alaska.

While there is no accepted practice in water mass
terminology, it is generally accepted that a ‘water type’
refers to a single point on a characteristic diagram such
as aTS curve. As introduced above, ‘watermass’ refers
to some portion or segment of the characteristic curve,
which describes the ‘core properties’ of that water
mass. In the above example the salinity characteristics
of the two intermediate waters were salinity minima,
which were the overall characteristic of the two
intermediate waters. We note that the extrema asso-
ciated with a particular water mass may not remain at
the same salinity value. Instead, as one moves away
from the formation zone for the AIW, which is at the
oceanographic ‘polar front’, the sharp minimum that
marks the AIWwater which has sunk from the surface
down to about 1000m starts to erode, broadening the
salinityminimumand slowly increasing itsmagnitude.
By comparing conditions of the salinity extreme at a
location with salinity characteristics typical of the
formation region one can estimate the amount of the
source water mass that is still present at the distant
location. Called the ‘core-layer’ method, this proce-
dure was a crucial development in the early study of
the ocean water masses and long-term mean currents.

Many variants of the TS curve have been introduced
over the years. One particularly instructive formwas a
‘volumetric TS curve’. Here the oceanographer sub-
jectively decides just how much volume is associated
with a particular water mass. This becomes a three-

dimensional relationship, which can then be plotted in
a perspective format (Figure 2). In this plot the two
horizontal axes are the usual temperature and salinity,
while the elevation represents the volumes with those
particular TS characteristics. For this presentation,
only the deeper water mass characteristics have been
plotted, which can be seen by the restriction of the
temperature scale to �1.01C to 4.01C. Arrows have
been added to show just which parts of the ocean
various features have come from. That the Atlantic is
the saltiest of the oceans is very clear with a branch to
high salinity values at higher temperatures. The most
voluminous water mass is the Pacific Deep Water that
fills most of the Pacific below the intermediate waters
at about 1000m.

Global Water Mass Distribution

Before turning to the TS curve description of the water
masses, it is necessary to indicate the geographic
distribution of the basic water masses. The reader is
cautioned that this article only treats the major water
masses, which most oceanographers accept and agree
upon. If a particular region is of interest close
inspection will reveal a great variety of smaller water
mass classifications; these can be almost infinite, as
higher resolution is obtained in both horizontal and
vertical coverage.

Table 1presents the TS characteristics of theworld’s
water masses. In the table are listed the area name, the
corresponding acronym, and the appropriate temper-
ature and salinity range. Recall that the property
extreme erodes moving away from the source region,
so it is necessary to define a range of properties. This is
also consistent with the view that a water mass refers
to a segment of the TS curve rather than a single point.

As is traditionally the case, the water masses have
been divided into deep and abyssal waters, interme-
diate waters, and upper waters. While the upper
waters have the largest property ranges, physically
they occupy the least amount of ocean volume. The
reverse is true of the deep and bottom waters, which
have a fairly restricted range but occupy a substantial
portion of the ocean. Since most ocean water mass
properties are established at the ocean’s surface, those
water masses which spend most of their time isolated
far from the surface will erode the least and have the
longest lifetime. Surfacewaters, on the other hand, are
strongly influenced by fluctuations at the ocean
surface, which rapidly erodes the water mass proper-
ties. In mean TS curves, as in Figure 1, the spread
of the standard deviation at the highest temperatures
reflect this influence from the heat and fresh water
flux exchange that occurs near and at the ocean’s
surface.
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Accompanying the table are global maps of water
masses at all three of these levels. The upper waters in
Figure 3 have the most complex distribution with
significant meridional and zonal changes. A ‘best
guess’ at the formation regions for the corresponding
water mass is indicated by the hatched regions. For its
relatively small size, the Indian Ocean has a very
complex upper water mass structure. This is caused by
some unique geographic conditions. First is the mon-
soon, which completely changes the wind patterns
twice a year. This causes reversals in ocean currents,
which also influence the water masses by altering the
contributions of the very saline Arabian Gulf and the
fresh Bay of Bengal into the main body of the Indian
Ocean. All of the major rivers in India flow to the east
and discharge into the Bay of Bengal, making it a very
fresh body of ocean water. To the west of the Indian
subcontinent is the Arabian Sea with its connection to
the Persian Gulf and the Red Sea, both locations of
extremely salty water, making the west side of India
very salty and the east side very fresh. The other upper
ocean water masses in the Indian Ocean are those
associated with the Antarctic Circumpolar Current
(ACC), which are found at all of the longitudes in the
Southern Ocean.

As the largest ocean basin, the Pacific has the
strongest east–west variations in upper water masses,
with east andwest central waters in both the north and
south hemispheres. Unique to the Pacific is the fairly
wide band of the Pacific Equatorial Water, which is
strongly linked to the equatorial upwelling, which
may not exist in El Niño years. None of the other two
ocean basins have this equatorial water mass in the
upper ocean. The Atlantic has northern hemisphere
upper water masses that can be separated east–west
while the South Atlantic upper water mass cannot be
separated east–west into two parts. Note the interac-
tion between the North Atlantic and the Arctic Ocean
through the Norwegian Sea and Fram Strait. Also in
these locations are found the source regions for a
number of Atlantic water masses. Compared with the
other twooceans, theAtlantic has themostwatermass
source regions, which produce a large part of the deep
and bottom waters of the world ocean.

The chart of intermediatewatermasses inFigure 4 is
much simpler than was the upper ocean water masses
inFigure 3. This reflects the fact that there are far fewer
intermediatewaters and those that are present fill large
volumes of the intermediate depth ocean. The North
Atlantic has the most complex horizontal structure of
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the three oceans. Here intermediate waters form at the
source regions in the northern North Atlantic. One
exception is the Mediterranean Intermediate Water,
which is a consequence of climatic conditions in the
Mediterranean Sea. This saltywater flows out through
the Straits of Gibraltar at about 320m depth, where it
then descends to at least 1000m, and maybe a bit

more. It now sinks below the vertical range of the less
saline Antarctic Intermediate Water (AAIW), instead
joining with the higher salinity of the deeper North
Atlantic Deep Water (NADW), which maintains the
salinity maximum indicative of the NADW.

In the Southern Ocean the formation region for the
AAIW is marked as the location of the oceanic Polar

Table 1 Temperature–salinity characteristics of the world’s water masses

Layer Atlantic Ocean Indian Ocean Pacific Ocean

Upper waters

(0–500m)

Atlantic Subarctic Upper Water

(ASUW) (0.0–4.01C,
34.0–35.0%)

Bengal Bay Water (BBW)

(25.0–291C, 28.0–35.0%)

Arabian Sea Water (ASW)

Pacific Subarctic Upper Water

(PSUW) (3.0–15.01C,
32.6–33.6%)

Western North Atlantic Central

Water (WNACW) (7.0–20.01C,
35.0–36.7%)

(24.0–30.01C, 35.5–36.8%)

Indian Equatorial Water (IEW)

(8.0–23.01C, 34.6–35.0%)

Western North Pacific Central

Water (WNPCW) (10.0–22.01C,
34.2–35.2%)

Eastern North Atlantic Central

Water (ENACW) (8.0–18.01C,
35.2–36.7%)

Indonesian Upper Water (IUW)

(8.0–23.01C, 34.4–35.0%)

South Indian Central Water

Eastern North Pacific Central

Water (ENPCW) (12.0–20.01C,
34.2–35.0%)

South Atlantic Central Water

(SACW) (5.0–18.01C,
34.3–35.8%)

(SICW) (8.0–25.01C, 34.6–
35.8%)

Eastern North Pacific Transition

Water (ENPTW) (11.0–20.01C,
33.8–34.3%)

Pacific Equatorial Water (PEW)

(7.0–23.01C, 34.5–36.0%)

Western South Pacific Central

Water (WSPCW) (6.0–22.01C,
34.5–35.8%)

Eastern South Pacific Central

Water (ESPCW) (8.0–24.01C,
34.4–36.4%)

Eastern South Pacific Transition

Water (ESPTW) (14.0–20.01C,
34.6–35.2%)

Intermediate waters

(500–1500m)

Western Atlantic Subarctic

Intermediate Water (WASIW)

(3.0–9.01C, 34.0–35.1%)

Antarctic Intermediate Water

(AAIW) (2–101C, 33.8–34.8%)

Indonesian Intermediate Water

Pacific Subarctic Intermediate

Water (PSIW) (5.0–12.01C,
33.8–34.3%)

Eastern Atlantic Subarctic

Intermediate Water (EASIW)

(3.0–9.01C, 34.4–35.3%)

(IIW) (3.5–5.51C, 34.6–
34.7%)

Red Sea–Persian Gulf

California Intermediate Water

(CIW) (10.0–12.01C,
33.9–34.4%)

Antarctic Intermediate Water

(AAIW) (2–61C, 33.8–34.8%)

Mediterranean Water (MW)

Intermediate Water (RSPGIW)

(5–141C, 34.8–35.4%)

EasternSouthPacific Intermediate

Water (ESPIW) (10.0–12.01C,
34.0–34.4%)

(2.6–11.01C, 35.0–36.2%)

Arctic Intermediate Water (AIW)

Antarctic Intermediate Water

(AAIW) (2–101C, 33.8–34.5%)

(�1.5–3.01C, 34.7–34.9%)

Deep and abyssal

waters

(1500m-bottom)

North Atlantic Deep Water

(NADW) (1.5–4.01C,
34.8–35.0%)

Circumpolar Deep Water (CDW)

(1.0–2.01C, 34.62–34.73%)

Circumpolar Deep Water (CDW)

(0.1–2.01C, 34.62–34.73%)

Antarctic Bottom Water (AABW)

(�0.9–1.71C, 34.64–34.72%)

Arctic Bottom Water (ABW)

(�1.8 to �10.51C, 34.88–
34.94%)

Circumpolar Surface Waters Subantarctic Surface Water

(SASW) (3.2–15.01C,
34.0–35.5%)

Antarctic Surface Water (AASW)

(�1.0–1.01C, 34.0–34.6%)
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Front,which is known to vary considerably in strength
and location, moving the formation region north and
south. That this AAIW fills a large part of the ocean
can be clearly seen in all of the ocean basins. In the
Pacific the AAIWextends north to about 201N,where
it meets the NPIWas already noted from Figure 1. The
AAIW reaches about the same latitude in the North
Atlantic but it only reaches to about 51 S in the Indian
Ocean. In the Pacific the northern intermediate waters
are mostly from the North Pacific where the NPIW is
formed. There is, however, another smaller volume
intermediate water that is formed in the transition
region west of California, mostly as a consequence of
coastal upwelling. A similar intermediate water for-
mation zone can be found in the south Pacific mainly
off the coast of South America, which generates a
minor intermediate water mass.

The deep and bottomwatersmapped in Figure 5 are
restricted in their movements to the deeper reaches of
the ocean. For this reason the 4000m depth contour
has been plotted in Figure 5 and a good correspond-
ence can be seen between the distribution of bottom
water and the deepest bottom topography. Some
interesting aspects of this bottom water can be seen
in the eastern South Atlantic. As the dense bottom
water makes its way north from the Southern Ocean,
in the east it runs into theWalvisRidge,whichblocks it
from further northward extension. Instead the bottom
water flows north along the west of the mid-Atlantic
ridge and, finding a deep passage in the Romanche
Gap, flows eastward and then south to fill the basin
north of the Walvis Ridge. A similar complex pattern
of distribution can be seen in the Indian Ocean, where
the east and west portions of the basin fill from the
south separately because of the central ridge in the
bottom topography. In spite of the requisite depth of
the North Pacific, the Antarctic Bottom Water
(AABW) does not extend as far northward in the
North Pacific. This means that some variant of the
AABW, created by mixing with other deep and
intermediate waters, occupies the most northern
reaches of the deep North Pacific. Because the North
Pacific is essentially ‘cut-off’ from the Arctic, there is
no formation region of deep and bottom water in the
North Pacific.

The 3D TS curve of Figure 2 indicated that the most
abundant water, mass marked by the highest peak in
this TS curve, corresponded to Pacific Deep Water. In
Table 1 there is listed something called ‘Circumpolar
Deep Water’ in the deeper reaches of both the Pacific
and Indian Oceans. This water mass is not formed at
the surface but is instead amixture of NADW,AABW,
and the two intermediate waters present in the Pacific.
The Antarctic Bottom Water (AABW) forms in the
Weddell Sea as the product of very cold, dense, fresh

water flowing off the continental shelf. It then sinks
and encounters the upwelling NADW, which adds a
bit of salinity to the cold, fresh water, making it even
denser. This very dense product of Weddell Sea shelf
water and NADW becomes the AABW, which then
sinks to the very bottom and flows out of the Weddell
Sea to fillmost of the bottom layers of theworld ocean.
It is probable that a similar process works in the Ross
Sea and some other areas of the continental shelf to
formadditional AABW,but theWeddell Sea is thought
to be the primary formation region of AABW.

Summary TS Relationships

As pointed out earlier, one of the best ways to detect
specific water masses is with the TS relationship,
whether computed for single hydrographic casts or
from an historical accumulation of such hydro casts.
Here traditional practice is followed and the summary
TS curves are divided into the major ocean basins
starting with the Atlantic (Figure 6). Once again, the
higher salinities typical of the Atlantic can be clearly
seen. The highest salinities are introduced by the
Mediterranean outflow marked as MW in Figure 6.
This joins with water from the North Atlantic to
become part of the NADW, which is marked by a
salinity maximum in these TS curves. The AAIW is
indicated by the sharp salinity minimum at lower
temperatures. The source water for the AAIW is
marked by a dark square in the figure. The AABW is a
single point, which now does not represent a ‘water
type’ but rather a water mass. The difference is that
this water mass has very constant TS properties
represented by a single point in the TS curves. Note
that this is the densest water on this TS diagram (the
density lines are shown as the dashed curves in the TS
diagram marked with the value of s).

The rather long segments stretching to the upper
temperature and salinity values represent the upper
waters in the Atlantic. While this occupies a large
portion of theTS space, it only covers a relatively small
part of the upper ocean when compared to the large
volumes occupied by the deep and bottom water
masses. From this TS diagram it can be seen that the
upper waters are slightly different in the South
Atlantic, the East North Atlantic and the West North
Atlantic.Of these differences the SouthAtlantic differs
more strongly from the other two than they do from
each other.

By comparison with Figure 6, the Pacific TS curves
of the Pacific (Figure 7) are very fresh, with all but the
highest upper water mass having salinities below
35%. The bottom property anchoring this curve is the
Circumpolar Deep Water (CDW), which is used to
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identify a wide range of TS properties that are known
to be deep and bottom water but which have not been
identified in terms of a specific formation region and
TS properties. As with the AABW, a single point at the
bottom of the curves represents the CDW. The

relationship between the AAIW and the PSIW can be
clearly seen in this diagram. The AAIW is colder and
saltier than is the PSIW, which is generally a bit higher
in the water column, indicated by the lower density of
this feature. There are no external sources of deep

Atlantic Ocean
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Figure 7 Characteristic TS curves for the main water masses of the Pacific Ocean.
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salinity like with the Mediterranean Water in the
Atlantic. Instead there is a confusing plethora of upper
water masses that clearly separate the east–west and
north–south portions of the basin. So we have Eastern
North Pacific Central Water (ENPCW) and Western
North Pacific Central Water (WNPCW), as well as
Eastern South Pacific Central Water (ESPCW) and
Western South Pacific Central Water (WSPCW).

The central waters all refer to open ocean upper
water masses. The more coastal water masses such as
the Eastern North Pacific Transition Water (ENPTW)
are typical of the change in upper water mass
properties that occurs near the coastal regions. The
same is true of the South Pacific as well. In general the
fresher upper-layer water masses of the Pacific are
located in the east where river runoff introduces a lot
of fresh water into the upper ocean. To the west the
upper water masses are saltier as shown by the
quasilinear portions of the TS curves corresponding
to the western upper water masses. The Pacific
Equatorial Water (PEW) is unique in the Pacific
probably due to well-developed equatorial circulation
system. As seen in Figure 7, the PEW TS properties lie
between the east and west central waters.

The Indian Ocean TS curves in Figure 8 are quite
different from either the Atlantic or the Pacific.
Overall the Indian Ocean is quite a bit saltier than
the Pacific but not quite as salty as the Atlantic. Also
like the Atlantic, the Indian Ocean receives salinity
input from a marginal sea as the Red Sea deposits its
salt-laden water into the Arabian Sea. Its presence is

noted inFigure 8 as the black boxmarkedRSPGIW for
the Red Sea–Persian Gulf Intermediate Water. Added
at the sill depth of the Red Sea, this intermediate water
contributes to a salinity maximum that is seasonally
dependent.

The bottom water is the same CDW that we saw in
the Pacific. Unlike the Pacific, the Indian Ocean
equatorial water masses are nearly isohaline above
the point representing the CDW. In fact the line that
represents the Indian Ocean Equatorial Water (IEW)
runs almost straight up from the CDWat about 0.01C
to the maximum temperature at 201C. There is
expression of the AAIW in the curve that corresponds
to the South Indian Ocean Central Water (SICW). A
competing Indonesian Intermediate Water (IIW) has
higher temperature and higher salinity characteristics
which result in it having an only slightly lower density,
creating the weak salinity minimum in the curve
transitioning to the IndianOceanUpperWater (IUW).
The warmest and saltiest part of these TS curves
represents the Arabian Sea Water (ASW) on the
western side of the Indian subcontinent.

Discussion and Conclusion

The descriptions provided in this article cover only the
most general ofwatermasses, their core properties and
their geographic distribution. In most regions of the
ocean it is possible to resolve the water mass structure
into even finer elements describing more precisely the
differences in temperature and salinity. In addition,
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other important properties can be used to specify
watermasses not obvious in TS space.While dissolved
oxygen is often used to define water mass boundaries,
care must be taken as this nonconservative property is
influenced by biological activity and the chemical
dissolution of dead organic material falling through
the water column. Nutrients also suffer from modifi-
cation within the water column, making their inter-
pretation as water mass boundaries more difficult.
Characteristic diagrams that plot oxygen against
salinity or nutrients can be used to seek extrema that
mark the boundaries of various water masses.

The higher vertical resolution property profiles
possible with electronic profiling instruments also
make it possible to resolve water mass structure that
was not even visible with the lower vertical resolution
of earlier bottle sampling. Again, this complexity is
only merited in local water mass descriptions and
cannot be used on the global-scale description. At this
global scale the descriptive data available from the
accumulation of historical hydrographic data are
adequate to map the large-scale water mass distribu-
tion, as has been done in this article.

See also

Boundary Layers: Ocean Mixed Layer. Convection:
Convection in the Ocean.CoupledOcean–Atmosphere

Models. Ocean Circulation: General Processes; Sur-
face–Wind Driven Circulation; Thermohaline Circulation.
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Introduction

Operational meteorology involves the generation and
widespread dissemination of weather information.
Although the types of weather-related information
generated and the methods of distribution have
evolved throughout the history of operational fore-
casting, the basic focus of this subdiscipline of the
atmospheric sciences has remained unchanged: to use
scientific knowledge about how the atmosphere
behaves to develop and distribute useful forecasts of
weather conditions. In its modern application, this

process typically involves the acquisition, examina-
tion, and interpretation of vast quantities of both
observational meteorological data and numerical
forecast model output, and thus tends to be extremely
computer intensive. The content of the disseminated
weather products varies according to the issuing
organization and the type of weather information
required by its customers; typically, they include
periodic reports and forecasts of weather conditions
over particular geographic regions and notification of
any anticipated or observed hazardous weather con-
ditions. These products are disseminated in many
ways, including dedicated electronic communications
systems maintained by national and local govern-
ments, the World Wide Web, newspapers, radio, and
television.

Prior to the 1990s, countries with significant
weather service programs generally relied on their
respective national governments to provide weather
information. While this practice is still common in
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many countries, recent changes in governmental fiscal
policies and the requirement ofmore detailed forecasts
by users ofweather data, particularly in the energy and
transportation industries, have increased the role of
the private sector in several industrialized countries.
For example, some private sector forecasters provide
energy companies with detailed and specially tailored
weather forecasts for particular regions to help them
anticipate future energy consumption. The success of
private sector forecasting suggests that its role in
operational meteorology will continue to increase in
the future.

Modern operational meteorology evolved signifi-
cantly during the twentieth century and now plays an
important role in the safeguarding of lives and
property, as well as providing highly-valued informa-
tion to both the general public and commercial
enterprises. This article provides an overview of
operational meteorology, including information on
its history, on the structure and function of modern
weather services, on the interactions between the
various national and private weather services, and on
the interrelationships between operational meteoro-
logy and technology.

History

Our ability to forecast the weather and disseminate
these forecasts to the public has evolved dramatically
over the years. Among the first weather forecasts
to be regularly issued to the public were those
produced by Sir Robert Fitzroy (previously Captain
of the Beagle during Darwin’s famous voyages) in
London, England, in 1861. In developing these
forecasts, he utilized the newly developed telegraph
to enable real-time transmission of weather observa-
tions to him in his London office from a network
of weather stations that had just been established
in southern England and neighboring coastal conti-
nental Europe. He plotted these observational
data together on ‘synoptic charts’ (a termhe invented),
and in conjunction with his limited understanding
of the structure of atmospheric circulation and
the nature of storm systems, issued weather forecasts.
These forecasts were then made available to the
public through publication in the London Times;
this was the first example of large-scale media
distribution of weather predictions. The accuracy of
these forecasts turned out to be quite limited, however,
as many of the tools necessary for successful opera-
tional weather forecasting (e.g., large-scale observa-
tional data available in real time, electronic
computers, and theoretical and conceptual under-
standing of the key atmospheric processes) had not yet
been developed.

From Fitzroy’s time to the present, significant
motivation for the growth and development of oper-
ational meteorology has come from the ever-expand-
ing demand for current weather information and
forecasts. As an example, the advent of aviation and its
use in World War I, and war-induced food shortages
and consequent heightened concern over agricultural
production, resulted in the dedication of significant
resources to the pioneering efforts of the so-called
‘Bergen School’ group working in Norway. Synthesiz-
ing earlier work by others, coupled with their own
analysis of data from a new high-density network of
observing sites in the region of Norway, this group
of scientists and forecasters working in Bergen
developed a popular conceptual model for the struc-
ture and evolution of extratropical cyclones (The
Norwegian Cyclone Model) (see Cyclones: Extra
Tropical). The essence of the model (e.g., cold/warm
fronts, occlusion process) survives despite the advent
of baroclinic instability, frontogenetical theory, and
observations of the mesoscale structures of extra-
tropical cyclones.

Mirroring this increasingly broad demand for
weather data and forecasts has been the growth of
national weather services throughout the world.
Among the earliest national weather services were
those in the UK and the USA. These national weather
services were charged with taking and reporting
observations, providingweather forecasts, and issuing
storm warnings for the industries of agriculture,
commerce, and transportation. In the UK, the Mete-
orological Office began within the Board of Trade in
1854, under the leadership of Sir Robert Fitzroy, and
was responsible for providing weather and ocean
current information to mariners. The national mete-
orological service in the USA was initiated by Con-
gressional resolution in February 1870, and initially
assigned to the Signal Corps of the US Army (though
the collection of weather data itself by the US
government began in 1814 when the Surgeon General
ordered surgeons to keep weather diaries).

During the middle and latter 1800s many
other industrialized countries had developed their
own national weather services, including Bulgaria
(1890), Japan (1875), Mexico (1877), New Zealand
(1861), Sweden (1873), Switzerland (1879),
and Zimbabwe (1897). Further establishment and
expansion of national weather services through the
1900s occurred comensurate with growth in weather-
sensitive industries such as transportation and agri-
culture, and a general societal desire to be forewarned
of imminent weather changes. By the end of the
twentieth century, there were approximately 35
regional and 183 national meteorological centers in
the world.
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In the mid-1900s, many national weather services
began to expand and improve their services by
integrating new advancements in technology into
their operations. With the advent of observational
platforms such as weather radar, itself developed as a
result of military-spurred radar research and develop-
ment during World War II, it became possible to alert
the public about potentially deadly and/or destructive
severe weather phenomena such as tornadoes. In the
USA on 25 March 1948, weather forecasters Major
Ernest Fawbush and Captain Robert Miller at Tinker
Air Force Base in Oklahoma made the first ever
forecast for a tornado that struck the Air Force Base.
Beginning in March 1952, the USA began to issue
these forecasts routinely, saving lives and property.
After the success of the severe weather forecast and
warning program in the USA, other national weather
services impacted by severe thunderstorms also began
issuing similar warnings within their respective coun-
tries. The generation and dissemination of these
warnings are now among the most important services
provided by operational meteorologists.

Modern Practice – USA

The modern practice of operational meteorology has
evolved considerably from the time when it was
largely limited to the collection of reports from a
relatively small number of surface observing stations,
transmitted using Morse code and electric telegraph
machines. Today, operational meteorology encom-
passes a wide range of meteorological services, and
encompasses both the public and private sectors. In
this article we describe the modern practice of oper-
ational meteorology using the National Weather
Service in the USA (NWS) as a model, as it is one of
the largest and most highly developed meteorological
organizations in the world. Since it is structured
similarly to other nationalweather services,we believe
that examination of the NWS model provides a basic
understanding of the present state of operational
meteorology.

TheNWS is responsible for forecasting the weather,
warning of weather hazards and floods, and taking
and recording observations of meteorological and
hydrological conditions. It accomplishes these tasks
through an organizational structure that comprises
local forecast offices and national forecast centers.
Working together, these offices provide the public
with: (1) specific forecasts of expected weather con-
ditions for the next 7 days, (2) general climate
predictions up to one year in advance, (3) forecasts
of potentially hazardous weather during the next 24–
48 h (called a ‘watch’), and (4) warnings for imminent
or already occurring hazardous weather. Within the

NWS, each local office has primary responsibility for
dissemination of general forecasts, warnings, and
watches, although severe thunderstorm and tornado
watches originate at the Storm Prediction Center, and
hurricane watches originate at the Tropical Prediction
Center. All of the national centers provide guidance
services and products that support local office opera-
tions. In one year, the NWS presently processes about
22 million observations from all over the world and
issues about two million forecasts and warnings.

Local Weather Offices

The National Weather Service Weather Forecast
Offices (WFOs) are the primary governmental pro-
viders of local weather information, including most
watches,warnings, and forecasts in theUSA.There are
a total of 123 WFOs, each of which has complete
weather watch, warning, and forecast responsibility
for its particular geographic subregion. Each of these
subregions comprises a particular set of counties,
called the County Warning Forecast Area for that
WFO. Together, these WFOs provide coverage for all
of the USA, Puerto Rico and the US territories of the
western Pacific (Figure 1).

The meteorological forecasts and services provided
by each WFO can be divided into the following four
basic programs:

1. Public Weather Service Program. This program
provides the public with current weather and
climate data, warnings (see below), and forecasts
(Table 1). The newsmedia play a significant role in
disseminating this information; these products also
serve as the starting point formost interpretive and
applied forecast services, including weather serv-
ices provided by industrial and consulting meteor-
ologists.

2. Warning Program. This program provides warn-
ings to the public of hazardous weather and
weather-related conditions. Warnings are issued
with respect to the following threats: hurricanes
and tropical storms, high winds, tornadoes and
severe local storms, hazardous winter weather,
river flooding, flash flooding, and coastal flooding.
Although primary warning responsibility lies with
the WFO national centers, such as the Hydrome-
teorological Center (HPC), both the Storm Predic-
tion Center (SPC) and the Tropical Prediction
Center (TPC) play active roles. The NWS relays
watch and warning information to the public by
several methods, including the mass media, Na-
tional Oceanographic and Atmospheric Adminis-
tration (NOAA),NOAAWeatherRadio, and other
NWS data transmission services. Whenever possi-
ble, the NWS uses the National Warning System

OPERATIONAL METEOROLOGY 1569



Anchorage

Fairbanks

Juneau

Kodiak

Seattle
Spokane

Portland Pendleton

Great Falls
Glasgow

Billings

RivertonPocatello

Salt Lake City

Benver
Grand Junction Goodland

Pueblo Dodge City

Flagstaff Albuquerque Amarillo

LubbockPhoenix

Norman

Tucson
EI Paso

Midland

San Angelo

San Antonio

Tulsa

Little Rock

Fort Worth Jackson
Shreveport

Houston

Lake Charles
New Orleans

Corpus Christi

Brownsville

Honolulu
Guam

Background topography courtesy Ray Stemer Johns Hopkins University

Mobile Tallahassee

Tampa

Miami

Key West San Juan

Melbourne

Jacksonville

Newport

Columbia
Wilmington

Wakefield

Sterling

New York City

Raleigh

Charleston

State College

Philadelphia
Pittsburgh

St. Louis

Davenport
Lincoln

Chicago
Northern

La Crosse
Milwaukee

Grand Rapids
Green Bay

Indianapolis
Jackson

LouisvilleTopeka

Kansas City

Nashville
Greer

Atlanta
Birmingham Charleston

Las Vegas
Los Angeles

Hanford

Reno
San Francisco

Sacramento

Eureka

Elke

San Diego

BoiseMedford

Grand Forks

Bismarck
Duluth

Rapid City

Aberdeen

Sioux Falls

Minneapolis

Marquette

North Platte
Omaha

Hastings

Des
Moines

Bingharnton

Burlington

Baffalo
Albany

Boston

Portland

Cleveland

Caribou

Detroit

Paducah
Blacksburg

Knoxville

Memphis

Wichita Springfield

Missoula

Wilmington

Gaylord

Cheyenne

Figure 1 Weather Forecast Offices in the contiguous USA. Fromowww.wrh.noaa.gov/wrhq/nwspage.html4.

Table 1 Primary public forecast products issued by a weather forecast office

Product Issuance frequency Description

Zone forecasts Twice a day and updates (as needed) Detailed forecasts for each geographic

subregion of the WFO’s County

Warning Area. Typically include

information on expected weather,

probabilities of precipitation, highest

and lowest temperatures, and wind

speed and direction. Covers periods up

to 72h; more general 4 to 7 day

extended forecast is appended to each

zone forecast.

State forecasts Twice a day Similar to zone forecasts, but for a much

larger area (typically an entire state)

and thus with forecast information

typically expressed in more general

terms.

Area forecast discussions Four times per day Discussion explaining the reasoning

behind the current zone forecasts.

Short-term forecasts Varies, depending on weather conditions Detailed forecast of expected weather

conditions over the WFO’s County

WarningArea (or subregion thereof) for

the upcoming 6h; issued as needed in

significant and/or fast-changing

weather situations.
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(NAWAS), managed by the Federal Emergency
ManagementAgency. (NAWAS is a comprehensive
party line network of telephone circuits connecting
more than 1500 state and Federal warning points
in the USA.)

3. Domestic Aviation Forecast Program. The objec-
tive of this program is to provide area, route, and
terminal weather information to the aviation
community to ensure safe and efficient flight
operations. The service covers flights within the
USA, aswell as those to and fromCanada,Mexico,
and the Caribbean. Besides this WFO-based avia-
tion forecast program, NWS meteorologists staff
21 Center Weather Service Units, at the FAA Air
Route Traffic Control Centers. These units pro-
mote the safe and efficient flow of aircraft within
the National Airspace System by providing real-
time weather information. Along with these units,
the NWS Aviation Weather Center provides avia-
tion warnings and forecasts of hazardous flight
conditions at all levels within domestic and inter-
national air space.

4. Marine Warning and Forecast Program. Coastal
WFOs also issue routine forecasts, as well as
watches and warnings for hazardous weather and
weather-relatedmarine conditions, from the coast-
line to 60 nautical miles offshore. [The Marine
Prediction Center (MPC) has similar responsibility
for the region extending from 60 to generally 250
nautical miles offshore.]

All WFOs operate 24 h every day of the year. Each is
managed by a Meteorologist-in-Charge; service de-
mands, special local forecast responsibilities, weather
activity determine the staffing levels. Each office also
has its own electronics staff, which is responsible for
maintenance of both internal and external electronic
equipment (including, among other things, WFO
computer-based data acquisition and display systems,
surfaceweather sensors, andDopplerweather radars).
Included among the staff at each office are a Warning
Coordination Meteorologist (WCM) and a Science
and Operations Officer (SOO). The former is respon-
sible for developing the WFO’s Warning Preparedness
Program, which strives to reduce loss of life and
property, and to ease the social and economic impacts
of weather-related natural disasters. The WCM ac-
complishes this by assuring warning system efficiency,
increasing public response to warnings, and providing
technical help for the development of response plans
by government and private institutions. The SOO, on
the other hand, serves as the primary scientific advisor
to the WFO’s staff, and is responsible for assuring the
scientific integrity of all hydrometeorological prod-
ucts and services provided by the WFO, and for

transferring new and emerging scientific technologies
and techniques from the research community to the
operational weather forecast and warning environ-
ment.

National Centers

There are nine national forecast centers; together they
form the National Centers for Environmental Predic-
tion (NCEP). Theprimarymissionof these centers is to
provide the local forecast offices with guidance prod-
ucts and services to assist them inmeeting their watch,
warning, and forecast responsibilities. Individuallly,
these centers are the: AviationWeather Center (AWC),
Climate Prediction Center (CPC), Environmental
Modeling Center (EMC), Hydrometeorological Pre-
diction Center (HPC), Marine Prediction Center
(MPC), NCEP Central Operations (NCO), Space
Environment Center (SEC), Storm Prediction Center
(SPC), and Tropical Prediction Center (TPC).

To illustrate the function of the national centers, and
the interaction between them and the local forecast
offices, we proceedwith a detailed examination of one
of these centers: the SPC, located in Norman, Okla-
homa. The SPC is responsible for issuing forecasts,
watches, and watch status messages for severe thun-
derstorms and tornadoes across the contiguous USA.
(A severe thunderstorm is defined as one that results in
one or more of the following: a tornado; straight line
winds of at least 25m s�1 (50 knots); and/or hail with a
diameter of at least 1.9 cm (3/4 inches).) In addition,
several times each day SPC meteorologists prepare
forecasts of expected areal coverage of non-severe and
severe thunderstorms for the next few days; these are
called ‘convective outlooks’. A convective outlook
consists of a map of the USA depicting these areas of
expected thunderstorm activity (Figure 2), accompa-
nied by text describing the underlying meteorological
reasoning (see Weather Prediction: Severe Weather
Forecasting for more information about forecasting
severe weather.) The SPC also monitors heavy rain,
heavy snowfall, freezing rain, blizzard conditions, and
fire weather across the country, and issues specific
products for these hazards.

When it appears that severe weather will occur
within the next several hours, the SPC meteorologists
coordinate with WFO forecasters by telephone and
will issue a severe thunderstorm or tornado watch for
the area of concern. The severe weather watch is an
important component of the severe weather program
in the USA and places local and state government
offices, aswell as the public in thewatch area onhigher
alert for the possibility of severe weather.When severe
weather develops, SPC meteorologists continue to
provide assistance to local offices by issuing regularly
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updated mesoscale discussions and watch status mes-
sages. Themesoscale discussion describes the past and
expected evolution of an area of severeweather during
the next 3–9 h; the watch status message simply
notifies the WFOs of whether portions of the watch
will be removed or whether a new replacement watch
will be issued. In thewinter, themesoscale discussion is
issued to describe the evolution of hazardous winter
weather such as significant icing or heavy snow.

Private Sector

In addition to the NWS, there are many private
companies that provide meteorological products and
services to a wide range of customers in the USA,
including broadcast, print, and internet media com-
panies. Private sector operational meteorologists play
an important role in providing the public with reports
of current and forecast weather conditions; they also
contribute significantly to the rapid and widespread
dissemination of hazardousweather information from
the NWS. Television (Figure 3) and radio are the
public’s primary source of short-term weather infor-
mation, especially during hazardous weather events,
and commercial broadcast stations and their meteor-
ologists work in partnership with the NWS to quickly
transmit official advisories, watches, or warnings.

Private sector operational meteorologists are also
employed by companies that provide fee-based fore-
casts specifically-tailored to the particular needs of

SLGT

MDT

DAY1 CONVECTIVE OUTLOOK

ISSUED:  2023Z  1 June 2000
FROM:     2025Z  1 June 2000
UNTIL:     1200Z  2 June 2000
FORECASTER:

Figure 2 Convective outlook issued by the SPC for 1 June, 2000. Areas to the right of the solid lines with arrows indicate where

forecastersexpect thunderstorms (severeandnon-severe) to occur during theoutlookperiod.Areas identifiedas ‘SLGT’ or ‘MDT’ indicate

where there is a slight and moderate risk of severe thunderstorms (those that produce either a tornado, winds Z25ms�1 (50 knots) or
thunderstorm-generated damage, and/or hail with a diameterZ1.9 cm (3/4 inches).) The risk level indicates the number and/or coverage

of severe thunderstorms within the identified areas. Figure provided by the NOAA/NWS/Storm Prediction Center.

Figure 3 A broadcast meteorologist presenting weather infor-

mation during a local news broadcast. The weather maps seen by

television viewers behind the meteorologist are electronically

generated using a process called ‘chroma key,’ which uses a

blank neon green or electric blue ‘chroma wall’ to create the effect.

Fromowww.nssl.noaa.gov/Bcortinas/ency_media1.jpg4.
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their customers, thus potentially adding value to the
more general forecasts issued by the NWS. A farmer,
for example,maywant to knowwhether temperatures
will go below freezing in her field on a particular night
or a railroad operator may want a detailed forecast
along a particular section of track during a specified
interval of time.

Other companies that employ operational meteor-
ologists include those that provide services in the areas
of air quality, climatology, training and education,
forensics, research and development, intrumentation,
data processing, remote sensing, and weather modifi-
cation. Whatever the specific task, and whether
working in the public or private sector, all operational
meteorologists must have a good scientific under-
standing of how the atmosphere behaves, the ability to
synthesize data from multiple sources quickly, and
effective communication skills.

International Weather Services

The role of the national weather service in other
countries is similar to that in the USA: to generate and
disseminate weather observations, forecasts, and haz-
ardous weather advisories for the benefit of public
safety and national commerce. In addition to periodic
reports of weather conditions, the most common type
of product provided by national weather services is a
general weather forecast for the next several days
(Figure 4). Many weather services, such as the Mete-
orological Service of Canada, also provide watches
and warnings for hazardous weather, similar to those
issued in the USA (Table 2).

In addition to providing warnings, reports of
weather conditions, and general weather forecasts,
some national weather services also provide detailed
weather information to particular industries, most
often those associatedwith transportation and energy.

Because of the additional resources necessary to
provide these services, customers typically pay a fee
to the government to receive this specifically tailored
information. This fee-based model is unlike that used
in the USA, where such specialized services are
generally provided by individual private companies
rather than government agencies.

In countries with limited resources, international
efforts, such as those coordinated by the World
Meteorological Organization (WMO), are necessary
to help provide basic meteorological services. The
WMO, a branch of the UnitedNations, was formed to
help coordinate international cooperation among the
approximately 35 regional and 183 national meteor-
ological centers in the world. Formed in 1951, the
WMO helps member States with worldwide coordi-
nation of national meteorological activities through
the establishment of cooperative agreements; the
development of standards formeasuring and reporting
atmospheric conditions; the establishment of meteor-
ological observation sites and training of meteorolog-
ical personnel in developing countries; and the
implementation of various research programs (includ-
ing the World Climate Program, the Hydrology and
Water Resources Program, and the Atmospheric and
Environment Program).

The WMO also develops and coordinates proce-
dures for sharing observational data and meteorolog-
ical services during emergency response activities,
such as the landfall of a tropical cyclone. This is an
especially important function, as meteorological phe-
nomena often cross geopolitical boundaries and can
affect many countries at the same time. For example,
when a hurricane threatens the coasts of the USA,
Cuba, and Mexico, the national weather services in
these countries work together by sharing meteorolo-
gical information and resources to ensure that all three

SOUTH EAST DISTRICTS FORECAST
BUREAU OF METEOROLOGY
NEW SOUTH WALES REGIONAL OFFICE
Issued at 5.15 am on Friday 19 May 2000

For the period through to Monday

Friday
ILLAWARRA

Early frost and fog inland then fine. Cool to mild sunny day. Light west to north-west winds
and north-east coastal sea breezes in the afternoon.

Saturday
Fine. Cool to mild. Light to moderate west to north-west winds.

Sunday
A shower or two. Cool. West to south-west winds ahead of a south to south-east change.

Monday
A few showers. Cool. Chiefly south-east winds.

Figure 4 Weather forecast for the town of Illawarra, Australia,

issued by the Australian Bureau of Meteorology.

Table 2 Types of hazardous weather watches and warnings

issued by Meteorological Service of Canada

Severe thunderstorm watch

Severe thunderstorm warning

Tornado watch

Tornado warning

Freezing rain warning

Heavy rain warning

Frost warning

Wind warning

Marine wind warnings

Dust storm advisory

Blizzard warning

Heavy snow

Winter storm warning

Windchill warning

Cold wave advisory
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countries receive adequate warning of any associated
threats to life and property. The planning for this
important type of international interaction is coordi-
nated by the WMO.

Another international collaborative enterprise is the
European Centre for Medium-Range Weather Fore-
casting (ECMWF), located in Reading, England.
Formed in 1973 by a multinational convention, the
ECMWF is an international organization that is
supported by 23 European States. The objectives of
the ECMWFare: (1) to develop numericalmethods for
medium-range (3–10 day) weather forecasting; (2) to
prepare, on a regular basis, medium-range weather
forecasts for distribution to the meteorological serv-
ices of theMember States; (3) to conduct scientific and
technical research directed to the improvement of
these forecasts; and (4) to collect and store appropriate
meteorological data. Using state of the art computer
systems and having its own dedicated research staff,
the ECMWF has become one of the premier opera-
tional and research institutions for medium-range
forecasting in the world.

Effect of Technology on Operational
Forecasting

The evolution of operational meteorology has de-
pended strongly on the capabilities of the available
relevant technology in addition to advances in the
science of meteorology. An early example of the
important role played by technology is provided by Sir
Robert Fitzroy’s pioneering weather forecasting activ-
ities, discussed earlier in this chapter. Only the shortly
preceding development of the telegraph enabled him
to collect weather observations from distant locations
soon after they were taken, and thus gather the
information he needed to issue his forecasts. A second,
and contrasting, example is provided by the pioneer-
ing theoretical work in numerical weather prediction
done by Lewis Fry Richardson in the early 1920s. He
recognized that the future ofweather forecasting lay in
numerical weather prediction, but as electronic com-
puters had not yet been invented, was ultimately
precluded from pursuing his insights to their ultimate
fruition. That would await the actual development of
the first electronic computer at the Institute for
Advanced Studies at Princeton New Jersey in the late
1940s, spearheaded by John Von Neumann, and the
early application of this new computing technology to
numerical weather forecasting led by Jule Charney.

In recent years, technological developments in four
key areas have played critical roles in the advancement
of operational meteorology: remote sensing of the
atmosphere, electronic computing speed and capacity,
telecommunications, and computer-based graphical

display software. The first of these has resulted in the
acquisition of far more comprehensive and detailed
observations of the state of the atmosphere. Recent
advancements in meteorological radar and satellite-
borne instruments, in particular, have enabled increas-
ingly detailed observation of the structure of the
atmosphere in regions distant from the physical
locations of the actual observing equipments. With
the resulting improved data coverage, numerical
weather forecasts have also improved (since a prereq-
uisite for determining the future state of the atmos-
phere is an accurate rendition of its present structure).
Here the extraordinary recent increases in computing
speed have also been of great significance. One of the
primary challenges (and limitations) in numerical
weather prediction lies in trying to predict the future
state of the atmosphere faster than the atmosphere
itself evolves. The faster the computing devices avail-
able for carrying out the enormously voluminous and
complex calculations, the more detail that can be
included in the same calculation time.

Recent rapid increases in both quantity of observa-
tional data and volume of numerical forecast model
output place increasing demand on the communica-
tion circuits that carry this information to weather
offices, including private sector meteorological com-
panies. Commensurate development also becomes
necessary in the equipment and techniques used to
organize and display these data. Ongoing improve-
ments in telecommunications technology, and espe-
cially the rapid recent increase in use of fiberoptic
communications lines, are enabling progress regard-
ing data transmission limitations, while data manage-
ment and display issues have been addressed through
the recent development and implementation of so-
phisticated computer-workstation-based meteorolo-
gical graphics display software.

An example of the latter is the Advanced Weather
Interactive Processing System (AWIPS) recently in-
stalled and commissioned in all forecast offices in the
US National Weather Service (Figure 5). This system,
and others like it, allow the forecaster to quickly and
comprehensively examine graphical displays of both
meteorological observations from multiple sources
and the predicted future state of the atmosphere from
numerical forecast models. The system also includes
the capability for examination, generation, and dis-
semination of text-based products. So, for example, a
forecaster could overlay color-enhanced displays of
satellite imagery, surface weather reports, weather
radar data, and remotely sensed lightning strikes to
quickly determine where the most severe conditions
were occurring within a large thunderstorm complex,
and then electronically write and disseminate any
requisiteweatherwarnings. In the future, it is expected
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that such human–machine interactions will become
ever more sophisticated.

The Future

During the last century, the field of operational
meteorology has evolved from one of simply taking
and recording surface weather observations to an
increasingly mature discipline that provides society
with comprehensive detailed information about cur-
rent and future weather conditions. Improvements in
computer processing speed and data storage, an
increase in data availability from remote sensing
platforms, as well as discovering greater meteorolog-
ical knowledge from ongoing applied and basic
research, should lead to greater accuracy and detail
in weather forecasts and warnings.

Technological advances and increasing awareness
of the societal impact of weather and climate will
continue to be two of the strongest forces driving the
evolution of operationalmeteorology and the duties of
the operational meteorologist. Improvements in com-
puter processing speed and data storage, as well as in
an increase in data availability from remote sensing
platforms and advancements in the use of ensemble
forecasting, should lead to greater accuracy and detail
in weather forecasts and warnings. The size of the
private sector will likely continue to expand as both
commerce enterprises and the public demand ever
more specialized forecasts and advisories. These
demands will require research on the effective use
and communication of highly detailed weather infor-
mation. It is also likely that interdisciplinary research

on the societal impacts of weather and climate will
influence the types of weather information provided
by operational meteorologists.

Despite the enormous advancesmade in operational
weather forecasting during the twentieth century,
theoretical predicability studies suggest significant
further improvement remains possible. As this evolu-
tion continues, operational meteorology will remain
the bridge between our scientific understanding of
how the atmosphere behaves and the application of
this knowledge for the benefit of society.

See also

Agricultural Meteorology and Climatology. Coastal
Meteorology. Dynamic Meteorology: Overview. Me-
soscale Meteorology: Overview. Synoptic Meteorol-
ogy: Forecasting; Weather Maps. Weather Prediction:
Adaptive Observations; Data Assimilation; Ensemble Pre-
diction; Regional Prediction Models; Seasonal and Inter-
annual Weather Prediction; Severe Weather Forecasting.
Weather Regimes and Multiple Equilibria.
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Introduction

The airglow and, in polar regions, the aurora are faint
and generally diffuse optical glows originating from
photochemical reactions occurring in the Earth’s
upper atmosphere at altitudes above �70 km. During
daytime and twilight there is an additional source of
airglow due to resonant scattering of sunlight. The
airglow provides a means of remote sensing the
conditions within its atmospheric source region.
Optical instruments are used to measure properties

of the emitted radiation, from which properties of the
atmosphere may be inferred.

All optical instruments measure light intensity and,
by repeated measurement, can also measure the time
variation of intensity. Further, most instruments are
designed to resolve the intensity distribution of the
incident radiation with respect to one or more other
parameters such as viewing direction, wavelength, or
polarization state.

Airglow processes emit light over a wavelength
range from ultraviolet through infrared. The propa-
gation and detection requirements for light vary
greatly over this range. Also, the dispersing compo-
nents that are required differ, depending upon the
spectral character of the incident radiation and upon
how it is to be resolved. Together, these considerations
have resulted in an enormous variety of optical
instrumentation for studying the airglow. Some of
the major instrument types will be described here, and
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a brief discussion of some important design consider-
ations will be presented.

Common instruments

Photometers

Photometers, whichmeasure optical brightnesswithin
a single field of view, are the simplest optical instru-
ments for measuring the airglow. Most photometer
applications include a narrow-band filter, to isolate a
single spectral emission feature. Ideally, a narrow-
band photometer would also sample somewavelength
adjacent to the emission line of interest, to estimate the
brightness of background light that arises for example
from the Moon, streetlights, twilight, etc. Many
remote sensing techniques use ratios of brightness of
two or more emission lines. The required measure-
ments can bemade either by swapping several filters in
a single photometer or by operating several complete
photometers in parallel.

Although applications exist for wide-field photom-
eters, fields of view subtending at most a few degrees
are more common. Such narrow-field photometers
may be placed on steerable mounts, or be set to view in
some fixed direction (typically in either the geographic

or the geomagnetic zenith.) One very common config-
uration is to arrange for one or more narrow-field,
narrow-band photometers to view the sky via a
spinning mirror that sweeps their field(s) of view along
a north–south meridian. This yields a sequence of
latitudinal ‘cuts’ through the two-dimensional airglow
or auroral luminosity pattern, as depicted in Figure 1.

2-D Imagers

Airglow and auroral imagers are similar to photom-
eters, except that they use a two-dimensional imaging
detector to resolve the airglow brightness with respect
to two angular directions in the sky.Any field of view is
possible, up to a 1801 all-sky view. Once again, an
airglow imager operating at visible wavelengths
would normally use a narrow-band filter to select a
particular emission line. In the near infrared it is
possible to use a broader bandpass filter to select
groups of lines from OH rotational bands.

Spectrometers

Simple spectrometers measure the spectral distribu-
tion of incident radiation from a single field of view.
Various optical components canbe used to disperse the
light according to wavelength, including prisms,

Figure 1 Data recorded by a four-channel meridian-scanning photometer. The four upper panels show, for four different optical

wavelengths, the brightness of airglow and auroral emissions as functions of viewing angle along the local geomagnetic meridian. A

viewing angle of 01 corresponds to the geomagnetic north horizon, whereas 1801 corresponds to the south horizon. Brightness data from

100successivemirror scansare shown in a ‘stacked’ format,with corresponding sample times indicatedalong the left-sideaxis. The lower

panel shows a longer time-history for three of the four channels. The horizontal axis in this presentation represents time, whereas the

vertical axis represents viewing angle along the meridian. Each pixel in this image is brightness-modulated in three colors. The red

brightness is proportional to the measured sky brightness at l ¼ 630:0 nm. Conversely, green and blue colors indicate the measured

brightness at l ¼ 557:7 nm and l ¼ 486:1 nm, respectively.
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gratings, Fabry–Perot etalons, or Michelson interfer-
ometers. Two levels of resolution are useful for airglow
and auroral applications. For applications that merely
require line intensities, spectral resolutions of 0.1 to
several nanometers are adequate. Much higher resolu-
tions (3 pm or less) are required to determine the
Doppler shifts and Doppler widths of spectral lines.
These results can then be used to estimate upper-
atmospheric winds and temperatures respectively.

Theworld’smost sensitive optical spectrometers are
those attached to large astronomical telescopes. Dur-
ing observations, celestial targets are usually posi-
tioned upon the spectrometer slit so that a portion of
the adjacent ‘dark sky’ is also included; this is used for
background subtraction from the celestial spectrum.
As the telescope must look through the upper atmos-
phere, the background measurement also yields an
airglow spectrum with unparalleled sensitivity (it is
not uncommon for a large telescope to integrate a

single spectrum for several hours). This technique has
allowed emission lines whose very existence was once
a mere theoretical prediction to be observed for the
first time in airglow spectra.

Hyperspectral Imagers

Hyperspectral imagers combine the spectral resolu-
tion of spectrometers with the angular resolution of
conventional imagers. That is, one- or two-dimen-
sional images are recorded, with the spectral distribu-
tion of the source radiation independently resolved at
each image pixel. Subsequently, the spectrum recorded
in each pixel is analyzed to derive an estimate of some
geophysical parameter (such as atmospheric wind or
temperature). These parameter estimates can then be
projected back onto the longitude and latitude loca-
tions of the original image pixels. The result is a
geographic map of the spectrally derived parameter
values. Figure 2 is an example of spectra of the

Figure 2 Spectra of the atmospheric l ¼ 630:0 nm optical emission recorded by a ground-based all-sky-viewing Fabry–Perot

hyperspectral imager. The circular region represents the instrument’s field of view in the sky. Signal processing in the instrument divides

this field of view into 47 independent regions. Here, the regions are rendered using different colors, allowing the extent of each one to be

discerned. The central region maps to viewing the sky in the zenith, whereas the outer regions map to viewing directions close to the

horizon. An independent spectrum of the l ¼ 630:0 nm emission is measured from each region, spanning a wavelength interval of only

�10pm. These measured spectra are depicted using small white crosses. The magenta curves depict numerically fitted model spectra,

whereas the continuouswhite curves depict the spectra obtained by viewing a helium–neon laser. The increasedwidth of the sky spectra

compared with the laser spectra can be used estimate the temperature of the emitting atoms in the upper atmosphere.
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l ¼ 630:0 nm thermospheric emission line, recordedby
an all-sky-viewing Fabry–Perot hyperspectral imager.

Daytime Airglow Spectrometers

During the day, airglow emissions are seen from the
ground superimposed upon a blue-sky background of
scattered sunlight, which, for small wavelength inter-
vals, exhibits approximately the same spectrum as
direct sunlight. This atmospherically scattered sun-
light is not only spectrally complex; it is also verymuch
brighter than the airglow. For example, the left panel
of Figure 3 shows that the l ¼ 630 nm daytime
airglow feature appears superimposed on a corre-
sponding Fraunhofer absorption line, but with only
about 1% to 2% of the brightness of the solar
continuum.

It is possible to isolate the daytime airglow spec-
trum, by subtracting a suitably normalized version of
the solar background spectrum (Figure 3B). However,
this requires a spectrometerwith a single passband and
extremely high spectral resolution (R�200000 for
the l ¼ 630 nm daytime airglow). These requirements
can be met by a multiple-etalon Fabry–Perot spectro-
meter such as the one used to obtain Figure 3 or,
possibly, by a grating spectrometer operating in
Echelle mode to achieve the maximum possible
wavelength dispersion.

Commonly Observed Wavelengths

Airglow and auroral spectra are complex, exhibiting
many discrete emission lines. Table 1 shows some of
those most commonly observed by airglow and
auroral instruments.

Viewing Locations

The vast majority of airglow instruments are ground-
based, and offer long-duration measurements at min-
imum cost. However, ground-based observations are
limited in several important ways, including the
following:

� A ground-based site can view only a limited geo-
graphic region.

� The lower atmosphere is opaque to ultraviolet
radiation at wavelengths shorter than �300 nm,
making airglow or aurora at these wavelengths
unobservable from the ground;

� The upper atmosphere must be viewed through the
troposphere,which is often cloudy and,when sunlit,
appears much brighter than the airglow (due to
scattered sunlight);
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Figure 3 (A) Spectra of sunlight and of daytime blue skylight spanning a wavelength interval of �40pm and centered near

l ¼ 630:0 nm. The broad dip seen in both spectra is due to a Fraunhofer absorption line. The smaller hump in the sky spectrum roughly

centered on channel 70 is due to daytime airglow. Note that the zero intensity level lies far below the bottom axis in this figure. (B) The

spectrumof daytime airglow, obtained by subtracting the sun spectrum from the sky spectrum. The smooth curve superimposed upon the

measured data is the result of fitting a numerical model spectrum.

Table 1 Spectral emission lines commonly observed by airglow

or auroral optical instruments

Wavelength (nm) Species Height Comments

557.7 O 97–140 km 97km for airglow,

higher for

aurora

630.0 O 180–250km Airglow and aurora

427.8 N2 95–110 km Aurora only

589.0/589.6 Na 90 km Emitted by sodium

atoms ablated

from meteoric

dust particles

840.0 OH 87km One of many OH

lines

732.0 O1 200–250km Useful for ion drift

486.1 H 100–120km Proton aurora
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� It is difficult to recover an altitude profile of the
emission intensity from ground-based viewing, par-
ticular for diffuse and featureless airglow layers.

For applications that must overcome one or more of
these limitations, instruments can be flown (albeit at
considerable expense) on balloons, aircraft, sounding
rockets, low-orbiting satellites, or distantly orbiting
satellites.

A trend since the early 1990s has been the use of
computerized tomography to combine observations
from several different viewing locations to recover the
three-dimensional structure of airglow or auroral
features. This method is an extension of ground-based
triangulation thatwas originally used to determine the
heights of atmospheric optical emission features.

Design Considerations for Airglow
Instruments

General Characteristics

To facilitate discussion of some general principles,
consider the ‘generic’ airglow instrument depicted in
Figure 4. All optical instruments must include at least
one detector that records the light intensity incident
upon it. The detector area may be divided into one or
more independent elements, usually termed ‘pixels’.
Prior to the 1960s, most optical detection was done
with photographic film. Since that time various
optoelectronic technologies have largely superseded
photographic recording, except in specialist applica-
tions. Film continues to excel in applications requiring
the combination of a large sensitive area (more than
�1000mm2) and a very large number of independent
pixels (more than a few million).

Some combination of optical components is placed
in front of the detector. Light enters this system
through an aperture known as the entrance pupil.
Note that the entrance pupil itself need not be a
physical object. Frequently, it is merely a virtual image
of some physical aperture that is located further back
in the optical path.

The optical components relay light from the en-
trance pupil to the detector(s). Although Figure 1
indicates that these components have formed a sharp
image of the sky onto the detector, this need not be the
case in general.

An instrument with a nonzero optical throughput
must accept radiation over a nonzero range of
incidence angles, for both of the angular dimensions
subtended by a distant scene (such as the atmospheric
airglow viewed from the ground). The angular region
accepted by the instrument is knownas its field of view.
The solid angle subtended by the field of view at the
entrance pupil is usually denoted as O.

Light-Gathering Power

Nighttime airglow is extremely dim at visible wave-
lengths. The ground-level photon flux is comparable
to that from a candle at �100m altitude. Thus, by
far the major design issue for any airglow instrument
is to achieve adequate sensitivity for the intended
measurement.

The light-gathering power of any optical system is
limited by a quantity known as its ‘etendue’, denoted
byE. Physically, this is given by the product of the area
of the entrance pupil, A, multiplied by the solid angle

Detector

Various
optical

components

Entrance pupil

Distant light source
diffuse and extended

Half-angle field of view

Field of view
solid angle Ω

Figure 4 A schematic depiction of a ‘generic’ airglow instrument

observing the distant sky. This figure illustrates the detector, the

entrance pupil, and the field of view in the sky.
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observed, O, i.e.

E ¼ AO

This fundamental limit determines the maximum
number of photons that an instrument can collect
per unit time. E is conserved within the optical path,
whichmeans that the etendue of a practical instrument
is usually determined by limitations of optical com-
ponents located somewhere in the optical path
behind the entrance pupil. The dimensions of E are
(length)2�(angle)2, and the conventional unit used
is the square centimeter steradian.

Conventionally, the surface brightness of an ex-
tended airglow source is measured in units called
Rayleighs. The number of photons an instrument with
an etendue of E cm2 sr, viewing a source with a
uniform brightness of LRayleighs throughout its field
of view, will gather in one second is given by

F ¼ EL
106

4p

(Inevitable optical losses within the instrument mean
that substantially fewerof thesephotonswill actuallybe
detected.)Note thatunits ofRayleighsmerely indicate a
number flux of photons; no restriction is made regard-
ing their spectraldistribution.Thus, the brightness of an
isolated narrowband spectral line emission can be
measured directly in Rayleighs, provided that it is
assumed that the photon flux is integrated over all
wavelengthswithin the emission’s spectral envelope. By
contrast, the brightness of a broadband or continuum
source, suchas thedaytimeblue sky,mustbe specified in
units of Rayleighs per unit wavelength interval.

As an example, assume that an instrument with a
circular entrance pupil of 50mm diameter and a
circular 11 full-angle field of view is observing the
entire spectral envelope of the l ¼ 630 nm airglow,
which is emitting a typical midlatitude nighttime
intensity of 50 Rayleighs. The solid angle viewed is

O ’ py2

4

¼ p�ð1��p=180Þ2=4 sr;
and the etendue is

E ¼ p�2:52� pð1��p=180Þ2
4

¼ 4:70�10�3 cm2 sr

The number of photons admitted to the instrument
per second is then

4:70�10�3 cm2 sr�50�ð106=4pÞ cm�2 sr�1 s�1

¼ 1:8�105 s�1

Nomatterwhat optical components are placed behind
the entrance pupil, this is the maximum possible rate
of photon detection.

Many airglow instruments apply optical compo-
nents that disperse the incident radiation intomultiple
independent ‘channels’ – separated, for example,
according to wavelength or viewing direction. While
there are good reasons to do this, it must be
understood that each individual channel only receives
a corresponding fraction of the total incident photon
flux. For example, if a square detector consisting
of (say) 256�256 pixels is replaced by one of the
same size, but divided into 512�512 pixels, then
he modified instrument must observe for four
times as long to achieve the same signal level in each
pixel.

Optical Losses

No optical components are 100% efficient. Losses of
at least a few percent occur at every optical surface
owing to absorption, scattering, unwanted reflections,
or imperfect geometric alignment. If there are com-
ponents (such as filters) with limited spectral band-
width, further losses may occur if these are poorly
matched spectrally, either with each other or with the
spectrumof the incident radiation. Finally, no detector
can record 100% of the photons incident upon it. The
fraction that are recorded (known as the ‘quantum
efficiency’) varies between a few percent and �85%
for the types of detector typically used in airglow
instruments. Taken together, these losses result usually
in an actual rate of photon detection that is only a
small fraction of the theoretical maximum based on
the system etendue and the source brightness.

Calibration

Depending on the application, absolute calibration of
the instrument’s wavelength and/or intensity response
may be required.Of these two,wavelength calibration
is by far the easier, as emission lines from inexpensive
spectral lamps provide highly precise and stable
wavelength references.

Certain experiments (such as Doppler wind meas-
urement) require wavelength measurements with ex-
tremely high precision. For example, the Doppler shift
from a wind of 3m s�1 corresponds to a wavelength
change of only one part in 108. Unfortunately, several
of the airglow lines used for wind measurements are
emitted by atomic transitions from long-lived metast-
able states. (Two examples of this are the l ¼
557:7 nm and l ¼ 630:0 nm atomic oxygen lines,
whose parent states have radiative lifetimes of �0:7
and �110 s respectively.) It is difficult to obtain a
non-shifted wavelength reference for these emissions

OPTICS, ATMOSPHERIC / Airglow Instrumentation 1581



in the laboratory, because their parent states are
quenched by collisions with container walls for any
lamp of reasonable size. In the upper atmosphere, by
contrast, there are no walls, and radiation from long-
lived states is possible. Fortunately, it is usually
possible to derive a zero-velocitywavelength reference
from the data themselves. One common method uses
the (very reasonable) assumption that the long-term
average vertical wind in the upper atmosphere should
be close to zero.

Two related calibrations frequently required for
spectrometry are the instrumental wavelength disper-
sion and the instrument’s spectral response function.
The dispersion can often be calculated a priori from
the instrumental design parameters or, if a spectrum
can be recorded over a sufficient wavelength range,
from the positions of two or more calibration lines.
The spectral response function can be obtained by
observing a laboratory source known to emit a very
narrow spectral feature. Suitable sources include
lasers and certain unstructured spectral lines of high-
mass atoms, such as the l ¼ 546:1 nm emission from
mercury-198. If the spectral response is desired at
some wavelength far removed from that available for
calibration then instrumental design parameters must
be used to calculate the required wavelength transfor-
mation.

Perhaps surprisingly, intensity calibrations are
much more difficult. Instruments are calibrated with
respect to secondary references, which are usually
incandescent lamps that have themselves been cali-
brated in a national standards facility. An incandes-
cent lamp approximates a point source, whereas for
intensity calibration it is desirable to fill the instru-
ment’s field of viewwith a uniformbrightness. Thus, in
practice, the instrument is arranged to view lamp
radiation scattered off an extended Lambertian
screen. Applying calibration data for both the
lamp and screen allows calculation of the screen
brightness in Rayleighs per unit wavelength.
When an instrument views the screen then the result-
ing signal represents the integral under the product of
the screen’s emission spectrum multiplied by the
instrument’s spectral response function. This integral
has units of Rayleighs; it is related to the total screen
brightness within the instrumental passband by a
scalar calibration constant. Thus, provided the instru-
ment’s spectral response function is known, this
procedure assigns the observed response to a
calculated number of Rayleighs, which is the
desired intensity calibration. Of course, the procedure
must be repeated for all wavelengths of interest. It
should also be repeated over a range of screen
brightness, as many instruments have a nonlinear
intensity response.

Signal Requirements

In an analogy to the need to observe a nonzero solid
angle, every measurement must be made by integrat-
ing the incident photon flux for a nonzero interval of
time. A primary figure of merit for any optical
instrument used in low-light applications is the expo-
sure time required per measurement – the shorter the
time, the better the performance. This time is limited
ultimately by the Poisson statistics associated with
counting discrete photons. That is, the number of
photon detections, N, needed to measure an intensity
to a precision of p percent must satisfy

p � 100
ffiffiffiffiffi
N

p

N
or N � 100

p

� �2

For example, if we wanted to measure intensity to a
precision of 2%,wewould need to count 502 photons.
If the instrument that we considered earlier had an
overall detection efficiency of 10%, then it would
require an integration time of 502/(0.1�18 kHz), or
1.4 s, to achieve this precision for the assumed 50
Rayleigh source.

Frequently, there are other sources of intensity
uncertainty beyond those arising solely from the
Poisson statistics of counting the signal photons. A
widely applicable expression for the actual measure-
ment uncertainty after t seconds of photon counting is

s2N ¼ st þ Bt þ R2

where s is the detection rate of signal photons, B is the
occurrence rate of ‘background’ counts, andR is a one-
time noise penalty incurred in certain detectors during
read-out. Background counts can arise from stray light
entering the instrument, from electronic noise within
the detector, or from both. In this case, the integration
time required to measure the signal intensity to a
precision of p percent must satisfy the relation that

100
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
st þ Bt þ R2

p

st
� p

so

t � 100�
50sþ50Bþ

ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
ð2500s2þ5000sBþ2500B2þp2s2R2Þ

p
p2s2

Applying this to the earlier example, but now with
B ¼ 500Hz and R ¼ 20 counts, would increase the
required integration time from 1.4 to 1.9 s. Clearly,
longer integration times are needed as additional
sources of noise become significant. Setting both B ¼
0 and R ¼ 0, and substituting st ¼ N, shows that this
expression then reduces to that for Poisson statistics of
the signal photons alone.
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The Dimension Problem

Typical optical detectors resolve at most two dimen-
sions at once (by recording an image). However, many
airglow applications require resolution over more
dimensions than this. For example, the Doppler width
of an airglow emission line can be used to infer
atmospheric temperature. A map of Doppler line-
widths across a wide field of view in the sky would
yield a corresponding map of atmospheric tempera-
ture. However, to achieve this in practice requires
recording a complete line spectrum for each pixel in
the sky image. Observing the time evolution of a
temperature map would require resolution in four
dimensions – time, wavelength, and two angular
dimensions across the sky.

It is often possible to map the detector’s imaging
dimensions onto any two of the desired measurement
dimensions. However, to resolve more than two
dimensions we must use some form of multiplexing,
either in time or else across the detector spatially.

Some imaging devices can actually resolve a third
dimension, at least crudely. Color film is an example of
this, as are new superconducting tunnel junction
devices that can resolve wavelength by counting the

number of Cooper pairs that are dissociated per
incident photon.

See also

Ionosphere. Lidar: Atmospheric Sounding Introduction.
Magnetosphere. Observation Platforms: Rockets.
Optics, Atmospheric: Optical Remote Sensing Instru-
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Introduction

Atmospheric optics involves the scientific description
of and explanation for the beautiful and distinctive
optical phenomena seen in the sky, including rain-
bows, ice crystal halos, coronas and iridescence,
glories, mirages, sky light and colors, and crepuscular
rays. The field has a venerable history, because the
scientific community focused greater emphasis on this
aspect of atmospheric science at a time when coordi-
nated data gathering over large regions and above
ground levelwas not adequate to describe,measure, or
explain weather systems of all scales. Discoveries
made about or involving the rainbow by René
Descartes, Isaac Newton, and Thomas Young rank
among the early triumphs of the scientific revolution.

All the optical phenomena are produced when the
path of light through the atmosphere is obstructed
and/or deflected, often in a specifically focused man-

ner. The objects involved in obstructing the light path
include air molecules, aerosol particles, and hydro-
meteors (cloud droplets, ice and snow crystals, rain-
drops, and hailstones). The manner of deflection
includes reflection, refraction, diffraction, scattering,
and absorptionFigure 1. In simplest terms,mirages are
caused by anomalous refraction, rainbows and halos
are caused by refraction and/or reflection, coronas and
iridescence by diffraction, and sky colors and crepus-
cular rays by scattering.

Many aspects of the phenomena, in particular their
geometry and much about their coloration, can be
explained by the interactions between light and single
particles. Thus, the rainbow involves the geometric
optics of light striking spheres, while halos involve the
geometric optics of light striking hexagonal ice crys-
tals. Nevertheless, all the optical phenomena are
produced by myriad particles dispersed through the
atmosphere so that their brightness and color are
strongly affected by the optical thickness of the light
path. Thus the field of atmospheric optical phenomena
treats the aesthetic aspects of radiative transfer, cloud
physics, and aerosol science, and impacts greatly on
climate and weather.
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Reflection and Refraction

When light strikes any discontinuity in the atmos-
phere, such as a sharp inversion or the boundary
between two media such as air or water, some light is
reflected and some is refracted, or bent, as it crosses the
discontinuity. When the boundary is smooth, reflec-
tion is mirrorlike or specular, and follows the law of
reflection that the angle of incidence, i1, equals the
angle of reflection, i2 (eqn [1]).

i1 ¼ i2 ½1�

When the surface is irregular or jagged, light is
reflected diffusely, although not often equally in all
directions (isotropically). The fraction of reflected
light is called the albedo. For water and other
transparent media, the albedo is determined by the
Fresnel reflection coefficient, R, given by eqn [2].

R ¼ 1

2

sin2 ði� rÞ
sin2 ðiþ rÞ þ

tan2 ði� rÞ
tan2 ðiþ rÞ

" #
½2�

Here r is the angle of refraction. Albedo generally
increases as the angle of incidence approaches 901.

i1 = i2

i

r

Specular Diffuse

Gradual Abrupt

Rayleigh Mie
Long
waves

Short
waves

Tiny
droplet

Large
droplet

Reflection

Refraction

Scattering

Diffraction

Figure 1 Processes that disrupt the transmission of light. Reflection is specular from smooth surfaces and diffuse from rough surfaces.

Refraction is abrupt across discontinuities and gradual when the speed of light changes continuously in a single medium. Small particles

scatter light inefficiently, with peaks both forward and backward and aminimumat 901, where the light is polarized. Large particles scatter
light efficiently, but mainly by small angles. Light waves diffract into patterned fields that are wider behind smaller particles. Absorption or

extinction of light is not shown.
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Refraction occurswhen thewave speed in amedium
varies along the wavefront. The wave then refracts or
bends toward the regionwhere the speed is slower. For
lightwaves, the amount of bending is governed the law
of refraction, expressed by [3],

sin i ¼ n sin r ½3�
where the index of refraction, n, is the ratio of the
speed of light in a vacuum to that in themedium.When
the index of refraction changes gradually the bending
will be continuous, but when the index of refraction
changes abruptly, the light will also bend abruptly.

In air the index of refraction depends primarily on
the density, r, but also on the wavelength, l, and is
given by the relationship [4].

n� 1 ¼ rð2:23�10�4 þ 1:68�10�18l�2Þ ½4�
Because the index of refraction in air is so near 1,
refraction in air always involves small angles of
deflection. Thus, mirages always involve glancing
angles andare best photographedwith telephoto lenses.

The indices of refraction in water and ice are given,
respectively, by eqns [5] and [6].

nliq ¼ 1:3601� 4:4�10�8l ½5�

nice ¼ 1:3303� 3:3�10�8l ½6�

The small wavelength dependence of the index of
refraction causes dispersion or splitting of the colors of
the spectrum, and accounts for the coloration of
rainbows, halos, and the green flash.

Mirages

Mirages are objects that have become visually dis-
placed and distorted as the result of anomalous
refraction in the atmosphere. They fall into two
main categories. Inferior mirages, such as the typical
desert mirage of seeming distant water, appear below
their actual location. Superior mirages, such as the
Fata Morgana, involve fantastic towering or looming
features of the landscape that appear above their
actual location (Figure 2).

The typical desert inferior mirage occurs when the
air near the surface is superheated to the degree that its
density increases upward (lapse rate4341Ckm�1).
This causes glancing light rays to be concave upward.
Nearby objects appearmore or less in placewithout an
image. Objects in the middle ground may appear in
place but will also have an inverted image below in
what appears to be water. The illusion of water on the
ground is actually due to refracted skylight that
shimmers because turbulent motions and temperature
variations just above the ground give the light beams

Figure 2 Superior mirage. (Photograph courtesy of Pekka Parvaianen.)

OPTICS, ATMOSPHERIC / Optical Phenomena 1585



rippling paths, much as over a radiator. Beyond a
certain distance, all light rays from the object either
have struck the ground or been refracted over the
viewer’s eyes so that they cannot be seen.

Superior mirages occur when the surface is colder
than the air above and there is an elevated inversion
just above the viewer. In that case, light beams near the
surface can travel horizontally, but beams that strike
the inversion at a glancing angle are deflected down-
ward, producing one or two images in the sky above
(Figure 3). The precise temperature structure deter-
mines whether the images are magnified or miniatur-
ized.

Sunset and sunrise are superior mirages, because on
average air density decreases upward.When the Sun is
at the horizon, refraction displaces it upward by about
0.51, an angle roughly equal to its diameter. Thus,
when the Sun’s lower rim appears to first touch the
horizon, its upper rim has actually just dipped below
the geometric horizon. The Sun also appears to flatten
at the horizon because the degree of refraction
increases rapidly toward the horizon.

Unusual temperature profiles in the atmosphere can
distort the setting Sun into the so-called ‘Chinese
lantern effect’ (see Figure 4), or give itmultiple images.
When this occurs, the green flash, a bright green stripe
of light, can be seen just above the Sun as it begins to
dip below the horizon. Green light is refracted more
than the longer waves, while the shorter waves are
scattered out of horizon sunbeams in all but the
clearest skies.

Rainbows

Most rainbows consist of two concentric circular arcs,
called the primary and secondary bows, that appear
opposite the Sun at roughly 421 and 511, respectively,

from the antisolar point when sunlight strikes rain-
drops. The primary or inner bow is almost invariably
brighter. It is about 21wide. The colors are arranged in
more or less spectral orderwith red on the outside. The
secondary bow is broader (about 31) and has the
opposite color sequence. There are also large differ-
ences in sky brightness around the bows. The sky is
brightest inside the primary bow and darkest between
the two bows.

Because raindrops are much larger than the wave-
length of light, geometric optics can be used to explain
many features of rainbows (Figure 5). To first approx-
imation all but the largest drops are spherical and light
passes through their central circular cross-sections.
The light is refracted as it enters and exits the drop but
is reflected once or twice inside the drop to produce the
primary and secondary bows, respectively. At each
juncture the Fresnel coefficients are used to determine
the fractions of refracted and reflected light. The
second internal reflection accounts for the reversed
color sequence and reduced intensity of the secondary
bow. Figure 6 shows an example of a quadruple
rainbow formed from a double rainbow and a double
reflected light rainbow.

Light emerges in conical envelopes after passing
through spherical drops following one or two internal
reflections. Descartes’ critical insight was that each
bow forms from the most focused light at the edge of
the respective cones. The strip of sky between the two
bows, known as Alexander’s dark band, is darkest
because it is located outside the cones of light of the
primary and secondary bows.

Halos

Ice crystal halos include a variety of circles, arcs, and
spots of light that occur when sunlight strikes ice

Elevated
temperature
inversion

Inverted
magnified
image

Upright
miniaturized
image

T

Figure 3 Refraction of light rays associated with a superior

mirage. Multiple images are caused by an elevated temperature

inversion.

Figure 4 A distorted image of the setting Sun known as the

Chinese lantern effect with a green flash above. (Photograph

courtesy of Pekka Parvaianen.)
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crystals. Photographs of halo displays at the South
Pole (see Figure 7) have made it common knowledge
that there are a plethora of different halos. The 221
halo is themost commonof at least eight circular halos
centered on the Sun or Moon. It is weakly colored,
with red on the inside, and the sky is darker just inside
the halo than outside it. The parhelia or sundogs are
bright, spectrally smudged spots at the same height as
the sun. They appear on the 221 halowhen the Sun is at
the horizon but farther outside the halo as the Sun
climbs in the sky. They cannot be produced once the
Sun rises higher than about 611 in the sky.

The most colorful of the common halos are the
circumzenithal arc (seen about 461 above the sunwhen
it is lower than 321 above the horizon) and its
complement, the circumhorizontal arc (seen about
461 below the Sunwhen it is higher than 581 above the
horizon). The parhelic circle is a colorless arc that runs
through the Sun and is parallel to the horizon. When
the Sun is near the horizon, vertical Sun pillars some-
times form in skies that have glaciating altocumulus.

Halos, like rainbows, are produced by refraction
and reflection of light, but their greater diversity is due
to the more complex geometry arising when light
strikes hexagonal prisms. The diversity is due to three
factors: (1) crystal morphology; (2) crystal fall mode;
and (3) solar elevation. Ice crystal morphology is a
field in itself. Crystals assume a variety of forms
including long pencils, flat plates, and dendrites,
depending on the temperature and humidity. Crystal
ends may be flat, stepped, or pyramidal, while crystal
edges can be sharply angular or rounded. Generally,

Focused

Rainbow Ray

Sunbeam

Sunbeams

Rainbow

Ray

Unfocused

Beam

Figure 5 The primary rainbow is produced by passage of light

through the circular cross-section of a spherical raindrop. The

rainbow ray is the most focused and least deflected light.

Figure 6 Quadruple rainbow. Double rainbow produced by sunlight striking raindrops plus double reflected light rainbow produced by

sunlight reflected from a relatively smooth surface. (Photograph courtesy of Alan Laws.)
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the simplest shaped crystals produce the best halo
displays.

Crystals tend to fall with their longest axis horizon-
tal. They therefore present only certain faces to the Sun
at angles that vary with solar elevation. Randomly
oriented crystals produce the circular halos while
oriented crystals tend to focus the light and account for
the various arcs and spots.

The 221 halo is produced when sunlight passes
through alternate rectangular faces of randomly ori-
ented crystals, which form an angle of 601 to each
other (Figure 8). The angle of deflection depends on
the orientation of the crystal and is at least 221. A
population of randomly oriented crystals therefore
produces a cone of light at least 221 from the Sun
that is most intense at its inner edge, where the
colors are separated by dispersion. The relatively
rare 461 halo forms when light passes through a
rectangular side and a hexagonal face of randomly
oriented crystals. So-called odd radius halos form
when light passes through the endings of pyramidal
crystals.

Sundogs are produced when light passes through
alternate vertically oriented rectangular faces of hor-
izontally falling plate crystals. Because the refracted
light is highly focused ona restricted portion of the sky,
sundogs tend to be extremely bright and colorful.

Halo arcs also tend to have pronounced coloration.
The circumzenithal and circumhorizontal arcs form
when light passes through a vertical face and a
horizontal face of a horizontally falling plate crystal.
The light is deflected by at least 461, and the color
separation can be quite marked, particularly when the
Sun is 221 from the horizon or zenith, respectively.

Colored arcs at or near the top and bottom of the 221
halo are produced by light that passes through
alternate rectangular sides of horizontally falling
pencil crystals. By contrast, the parhelic circle and
Sun pillars involve only reflection and therefore do not
exhibit spectral colors.

To produce complex halo displays a cloud must
contain a limited set of distinct crystal shapes and
orientations (Figure 9). Ideal conditions occur at the
South Pole, where thin, newly glaciated clouds form
just above ground level. Halos produced at high
elevations by cirrostratus clouds are rarely so striking
because they cover a great horizontal distance, with
large variations of crystal habit and fall mode almost
inevitable,

Interference and Diffraction: Coronas,
Iridescence, and Supernumerary
Rainbows

Geometric optics cannot describe the behavior of light
in or near the shadow zone of an obstacle. Light is
diffracted into a field of patternedwaveswhen passing
by droplets or crystals. Light of each color passing
spherical particles forms alternating series of light and
dark rings where the waves are, respectively, amplified
and diminished. The critical variable is the size
parameter, x ¼ 2pa=l, or the ratio of the particle’s
circumference to the wavelength of the light. The
angular radii of the rings of diffracted light are
inversely proportional to the size parameter. Thus,
the first three red rings (l ¼ 0:675 mm) produced by
droplets of radius 10 mm have angular radii of 3.01,

Figure 7 South Pole halo complex, 2 January 1990. (Photograph courtesy of Walter Tape.)

1588 OPTICS, ATMOSPHERIC / Optical Phenomena



5.01, and 6.71, while the first three blue rings
(l ¼ 0:45mm) have angular radii of 2.01, 3.31, and
4.51.

Coronas are the small colored rings of light that
appear around the Sun or Moon when light is
diffracted by tiny droplets in optically thin clouds,
typically altocumulus and cirrocumulus. Coronas
appear so close to the Sun that they are difficult to
see unless the sunlight is blocked.Dark sunglasses help
to highlight the coloration. Most coronas are pallid
affairs consisting of a central bright aureole surround-
ed by a dull red ring. Under ideal conditions, often
involving lenticular clouds, as many as four or five

alternating green-blue and red rings can be discerned
(see Figure 10).

When the cloud consists of delicate ripples, as with
cirrocumulus undulatus, irregular areas of iridescent
colors are seen instead of the more or less circular
corona. On occasion iridescence is seen farther than
301 from the Sun, and implies that the droplets are less
than 2 mm in radius. Such tiny droplets can only
dominate in very thin clouds.

Because the angular size of the rings of each color
varies inversely with droplet radius, only clouds with
narrow droplet size distributions that are constant all
along the path of light produce vibrant coronas and

Halo
Beam

22 Degree Halo

46 Degree Halo

Halo
Beam

Sunbeam

Sunbeam

Figure8 Light rays pass through alternate rectangular faces of ice crystals to produce the 221 halo and its associated arcs, and through
a hexagonal face and a rectangular side to produce the 461 halo and its associated arcs.
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iridescence. Such ideal conditions are most likely to
occur in optically thin wave clouds with top-hat
humidity profiles. By contrast, convective clouds tend
not to produce coronas because they have flat and very
broad path-integrated drop size distributions.

On occasion, extra bands of pastel light appear
below the primary rainbow, especially near its crest.
These so-called supernumerary rainbows are caused
by interference of light, and are more prominent when
the drops responsible for the rainbow are relatively
small (o0.15mmin radius). The significant variations
in the colors of the primary rainbow are due to
diffraction effects. The largest drops that remain
spherical produce the most vivid and spectral colors,

with red dominating. For smaller drops, color purity is
reduced and the bow broadens but shrinks in radius.
Droplets smaller than 0.02mm in radius produce a
broad, diffuse, white arc called a fog bow.

Scattering

Scattering refers to the deflections that occur when
light encounters small particles. Although the term
seems to imply a disorganized process, light scattered
from individual particles can be distributed in calcu-
lable and highly organized patterns. Scattering theory
is therefore used to model many optical phenomena

Figure 9 Computer simulation of a complex halo display. Four types of crystals are included. Thick plates falling randomly produce the

221 halo. Thin plates falling almost horizontally produce the parhelia, the parhelic circle, and the circumzenithal arc. Long pencils falling

almosthorizontally butwith randomorientationof rectangular sidesproduce theupper tangentarc to the221halo, and the faint supralateral
and infralateral tangent arcs to the 461 halo. Long pencils falling almost horizontally with one rectangular face almost horizontal produce

the Tape arcs and the Parry arc.
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with higher accuracy than either geometric optics or
diffraction alone.

Gustav Mie derived the electromagnetic theory for
the scattering of light by spheres. The scattering
functions are expressed as a slowly converging infinite
series that depends on the complex index of refraction
and the size parameter. Solutions of Mie scattering
yield the total scattering cross-section (Figure 11) and
the angular distribution of the scattered light or
scattering phase functions (Figure 12). The total
effective scattering cross section is the ratio of the
area of light obstructed to the geometrical cross-
section of the particle. It rapidly increases to a
maximum of about 4 when the size parameter is
roughly 5 and then undergoes a series of diminishing

oscillations with an asymptotic value of 2 for particles
much larger than the wavelength of light.

For particles that are much smaller than the wave-
length of light, the increase of total scattering cross-
sectionwith size parameter is closely approximated by
the classical expression for the scattering coefficient
first derived byLordRayleigh (1871), expressed in eqn
[7], n is the refractive index, and l is the wavelength.

KRay ¼ 32p3ðn� 1Þ2
3Nl4

½7�

whereN is the number density of air molecules. Thus,
the sky is blue because particles much smaller than the
wavelength of light, such as airmolecules, scatter short
waves much more efficiently than long waves.

Particles much larger than the wavelength of light
scatter all wavelengths with more or less equal
efficiency. This accounts for the white color of nearby
clouds during the peak of the day when the sunlight is
almost white.

When particles are comparable to thewavelength of
light, scattering is more complex. In particular, parti-
cles with diameters between about 1 and 2 mm
correspond to the region of anomalous scattering
just beyond the first maximum in the Mie total
scattering cross-section, and so scatter long waves
more efficiently than short waves. Particles in this size
range fill the atmosphere only after great forest fires
and volcanic eruptions. Clear twilight skies then turn
crimson red, orange, or purple to a great height above
the horizon and the Sun orMoonmay turn green-blue.

The angular distribution of scattered light also
depends on particle size. Rayleigh scattering by small
particles is maximum both directly forward and
backward, and minimum at right angles to the light
source, where the light is also polarized. This accounts
for the high degree of polarization and deep blue of the
sky roughly 901 from the Sun. Large particles scatter
light mainly by small angles. The pronounced maxi-
mum of forward scattering by aerosols accounts for
the bright aureole around the Sun on hazy days. Mie
solutions for scattered light from small droplets
provide a more accurate model for coronas and
iridescence than diffraction theory because they take
into account transmitted light and resonance effects as
well as diffracted light.

Glories

Mie scattering phase functions contain maxima in the
near backward direction that represents the glory.
Glories are seen around the shadowof anobserver that
falls on clouds or fog. Under optimal conditions
(uniformdroplet size along the light beam), glories can

Figure 10 Complex, noncircular corona due to cloud at two

levels, each with different size particles. (Photograph courtesy of

Paul Neiman.)
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Figure 11 Total scattering cross-section (ratio of area of

scattered light to geometrical cross-section of particle) as a

function of size parameter for a spherical particle with a real index
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contain several vividly colored concentric rings, but
usually no more than one or two dull pastel rings are
seen. Glories tend to be brighter when the observer is
close to the cloud, for then the light covers a restricted
portion of the cloud and greater uniformity of drop
size can be expected.

Radiative Transfer: Visibility of Optical
Phenomena

All atmospheric optical phenomena are strongly
affected by the optical thickness of the path taken by
the light. The brightness, I, of a phenomenon is
governed by the integral of the Beer–Lambert–
Bouguer law along the path, as shown by eqn [8].

dI ¼ ð J � IÞ dt; dt ¼ kr ds ½8�

In this equation J is the brightness of the light source, t
is the optical thickness, and ds is the distance
traversed. If the optical thickness of the cloud or
rainswath is less than about 0.05, there are too few
particles to scatter enough light for it to emerge from
thebackground sky light. Butwhenoptical thickness is
greater than about 1, multiple scattering effects
become prominent. They then blur the phenomena
and reduce their contrast by increasing background
brightness disproportionately. Moreover, as clouds
thicken, the range of particle shapes and sizes increas-
es, further reducing the purity of phenomena. For all
these reasons, the brightest coronas and halos are
produced by clouds with optical thickness roughly
about 0.2, and thus are seen when the clouds are thin
enough for the Sun to cast distinct shadows. Similarly,

the brightest rainbows are rarely associated with
heavy rain in the illuminated portion of the rains-
wath.

The colors of the sky and of any distant
object are also stronglymodulated by the optical thick-
ness of the path length of light through the atmos-
phere. Preferential scattering of short waves removes
blue and violet disproportionately, and consequently
reddens any light beam. Therefore, the greater the
distance of any bright object or light, the redder it
appears.

When the Sun is overhead, the optical thickness of
the pure, dry atmosphere is t ¼ 0:21 for violet light
(l ¼ 0:4 mm) but only t ¼ 0:023 for red light
(l ¼ 0:7 mm). By preferentially removing short waves,
scattering turns the Sun slightly yellow when it is high
in the sky. As the Sun approaches the horizon the
optical thickness along a sunbeam reaching sea level
increases by a factor as much as 40, because the denser
part of the atmosphere is a thin veneer. At sunset, the
optical thickness for violet and blue light is so large
that virtually none remains in the direct sunbeam,
which turns red. By contrast, distant shaded objects
such as mountains often appear blue due to an
admixture of scattered light from the intervening
atmosphere.

Sky Light and Color

During the height of the day, the clean, dry sky grades
from a relatively deep blue at the zenith to almost
white at the horizon. The whiteness of the horizon
results from an admixture of nearby scattered blue
light with a significant contribution of optically
distant reddened sky light.
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Figure 12 Angular scattering phase function for a spherical particle with size parameter, x ¼ 30, and real index of refraction, n ¼ 1:33.

Highlights include forward peak (corona), peaks near 1401 and 1301 (primary and secondary rainbows), and peak near 1801 (glory).

1592 OPTICS, ATMOSPHERIC / Optical Phenomena



Aerosols also brighten and whiten the sky, partic-
ularly near the Sun, since they scatter most light by
small angles. Skies typically become hazier as humid-
ity increases in the lower tropopsphere because
hygroscopic nucleii scatter light with increased effi-
ciently and less wavelength discrimination as they get
wet and swell (deliquesce).

As the Sun descends in the sky, not only does direct
sunlight redden and decrease in intensity, but the
horizon sky turns red. At twilight, sky color grades
through the spectrum from red at the horizon to blue
above, as shown in Figure 13. Only the distant
atmosphere is directly illuminated and the optical
thickness of the path through the atmosphere is so long
at the horizon that even scattered light is primarily red.
Horizon skies also turn red or orange at midday if a
thunderstorm or a total solar eclipse shades the nearby
sky.

Crepuscular Rays

At twilight, distant mountains or clouds cast purple
shadows on the sky. Similar crepuscular rays form
during the day when beams of scattered sunlight pass
through holes or irregular edges in clouds (Figure 14).
Because aerosols deflect light mainly by small angles,
crepuscular rays are brightest (or darkest) near
the Sun. They are also most distinct when the Sun
is low in the sky because the concentration of
aerosols is greatest near the ground. Crepuscular
rays appear to converge toward the Sun entirely
as a result of perspective (Figure 15). Anticrepuscular
rays, seen opposite the Sun, converge to the antisolar
point.

Figure 13 Twilight horizon sky colors over Aswan, Egypt.

(Photograph courtesy of Stanley Gedzelman.)

Figure 14 Crepuscular rays above a cumulus cloud. (Photograph courtesy of Stanley Gedzelman.)
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Color Purity of the Phenomena

Chromaticity diagrams can be used to provide color
maps of the atmospheric optical phenomena (Figure
16). The horseshoe-shaped curve defines pure, spectral
colors, while the central point constitutes white light.
Under ideal conditions, rainbows, some halos, and
twilight skies can attain a high degree of spectral color
purity. However, color purity of even the most
spectacular rainbows, etc., is never very high because

of the presence of aerosols, variations in the size and
shape of hydrometeors, and multiple scattering. But
even with this limitation, atmospheric optical phe-
nomena will continue to please and inspire human-
kind.

See also

Aerosols: Observations and Measurements; Role in
Radiative Transfer. Optics, Atmospheric: Optical
Remote Sensing Instruments. Radiative Transfer:
Scattering.
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Introduction

Atmospheric radiation originates with the Sun. Ab-
sorption of solar radiation by the Earth’s surface, and
by water vapor and ozone in the lower atmosphere,
warms the atmosphere, causing the emission of
thermal infrared radiation atwavelengths correspond-
ing to the spectral lines of infrared-active species. Solar
radiation is also reflected from the Earth, and is
scattered in the atmosphere, through both molecular
scattering, called Rayleigh scattering, and scattering
by particulate matter, called Mie scattering. Thus the
atmosphere contains a mixture of radiation that
is essentially scattered and reflected sunlight, and
thermal emission from the atmosphere.

The solar spectrum also contains ultraviolet radia-
tion covering a wide range of wavelengths. Radiation
in the extreme ultraviolet region (EUV) is absorbed
high in the atmosphere, above about 130 km, through
the ionization of atmospheric species. The resulting
excited species undergo ion–molecule reactions, or
recombine with thermal electrons, releasing the stored
energy as photons, mainly in the visible region.
Similarly, far ultraviolet (FUV) radiation in the Schu-
mann–Runge continuum dissociates molecular oxy-
gen into atomic formabove about 120 km.This atomic
oxygen is long-lived, and does not recombine until it
has diffused or is otherwise mixed downward into the
more dense atmosphere near 100 km, where it under-
goes the reaction OþOþM ! On

2 þM. The On

2

exchanges energy with atomic oxygen, producing
O(1S) metastable oxygen, which radiates the atomic
oxygen green line at 557.7 nm. This radiation, along
with the photons released by similar reactions, con-
stitutes the airglow, a further component of upper
atmospheric radiation.

All of this radiation carries diagnostic information
about the atmosphere, since thermal radiation is a
function of the temperature and of the species’
concentrations, following the equations of blackbody
radiation. If the species has a known mixing ratio
(fractional concentration in the atmosphere), as is the
case for CO2, the temperature may be determined;
conversely, if the temperature is known, the concen-
trations of variable minor constituents may be
determined. The oxygen green line, and similar

airglow lines, carry information about the ambient
temperature from their width, and about wind
from their Doppler shifts. Thus, remote sensing
provides a great deal of fundamental information
about the atmosphere. This article is concerned
with the conceptual description of atmospheric
remote sensing instruments, and the factors involved
in choosing the best instrument for a particular
application.

The Scope of Remote Sensing

One-dimensional observations of the atmosphere
provide integrals of the emission along the line-of-
sight, called the integrated emission rate, or more
generally the radiance. This is the flux of photons (or
energy) per unit area per unit solid angle. The one-
dimensional measurement one would like is the
vertical profile of volume emission rate, the number
of photons emitted (or scattered) per unit volume
per unit time, as a function of altitude. This can be
done in several ways. If a rocket is flown up through
the atmosphere, the integrated emission rate above
the rocket decreases as it rises. The derivative of
the observed signal gives the volume emission rate; this
works well, but a rocket flight is an expensive way to
obtain a single atmospheric profile. Looking down
from a satellite into the atmosphere, different wave-
lengths of thermal infrared radiation appear to arise
from different altitudes, because of atmospheric
absorption. A strong emitter is also a strong absorber,
so that strong emissions viewed at the satellite must
originate high in the atmosphere, while weak emis-
sions originate lower in the atmosphere where the
density is larger. Thus, by using a selection of different
wavelengths, one can obtain vertical profiles from
downward (nadir) viewing. Anothermethod is to view
the atmosphere at the limb, as shown in Figure 1,
where the line-of-sight is tangent to the observed
atmosphere, for a continuous range of tangent alti-
tudes, either by scanning the field of view up and down
or by taking an image. Each line-of-sight observation
at a given altitude is an integral equation of the
emission rates, but the set of equations can be inverted
to yield vertical profiles of volume emission rate. If
absorption occurs along the viewing path, thismust be
taken into account. Figure 2A shows the limb radiance
observed for the HNO3 species with the CLAES
instrument on the UARS satellite (more information
later in the section). Figure 2B shows its inversion to
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species concentration, expressed as mixing ratio in
parts per billion (10�9) by volume.

There are different kinds of two-dimensional infor-
mation: vertical–horizontal: and horizontal–horizon-
tal. The first involves a vertical cut through the
atmosphere, which is obtained by taking repeated
limb images as the satellite moves along the track. In
this case the inversion yields horizontal as well as
vertical information, through a retrieval process
known as tomography, analogous to the well-known
methods of medical imaging. Horizontal–horizontal
information may be obtained by taking nadir obser-
vations with a satellite over a single day, providing a
global map. If limb images are used, providing vertical

profiles, then the information is in principle three-
dimensional, though at low resolution because of the
gaps between the orbits.

Responsivity and Superiority

The responsivity of an optical system is the ratio of the
instrument output signal to the input radiance: the
higher the responsivity the higher the signal, for a
given radiance. To achieve the desired atmospheric
diagnostics, it turns out that instruments of the highest
responsivity must be sought, and the challenge be-
comes how to choose the best instrument for a given
application from the wide range that is available.
Several factors are involved in this. The responsivity is
given by R ¼ AOtq, where A is the area of the
instrument aperture, normally the area of the first
optical element, and O is the solid angle of the
measurement field of view. For an imaging detector,
this is the solid angle corresponding to one pixel. t is
the instrument transmittance and q is the quantum
efficiency of the detector, the percentage of the arriving
photons that are converted to electrons. However, all
spectroscopic devices involve angular dispersion, such
that a change in the angle of the ray entering the
instrument causes a change in the detected wave-
length. This means that for the measurement of a
narrow wavelength interval, the field of view must be
restricted. Resolving power, <, is defined as l=dl,
where dl is the size of the resolution element. Because
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Figure 1 Illustrating limb viewing of the atmosphere from a

satellite.
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Figure 2 Integrated emission rate profile of HNO3 (A) and the inverted volume emission rate profile, expressed as mixing ratio in parts

per billion (10�9) by volume (B). (Courtesy of A. Roche, Lockheed Research Center.
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of dispersion, the higher the resolving power,
the smaller the field of view, and the smaller the
responsivity. It turns out that for all conventional
spectroscopic instruments these quantities are inverse-
ly related, so that O<5 constant for a given instru-
ment. However, O< is not the same for different
instruments, so it may be used to compare the
performance of different instruments; here it is
called the superiority (similarly to what was termed
by Jacquinot the luminosity–resolving–power prod-
uct, LRP). In general the instruments of highest
superiority are themost advantageous for atmospheric
remote sensing.

However other factors concerning the mode of
operation are involved. A photometer is an instrument
that records the radiance measured through its spec-
tral passband F effectively a filter. A scanning
spectrometer records the radiances of adjacent spec-
tral elements successively in time, which is an ineffi-
cient process, since all of the photons not being
measured at a given time are wasted. Spectral multi-
plexers are devices that measure all wavelengths
simultaneously. One way of doing this is to use an
array detector, in which the photons corresponding to
different spectral elements fall on different pixels, and
are measured simultaneously. Another way is through
the use of a Fourier transform spectrometer, in which
eachwavelength element is codedwith a cosinusoid of
a different frequency, and all cosinusoids are super-
posed in one signal. A Fourier transform of the signal
then separates out the different frequencies, and thus
the spectral elements. A third class of instrument is the
modulator, in which a range of wavelengths falls on
the detector, but only one spectral element is modu-
lated. This can be done, for example, by using a gas
absorption cell as a selective absorber for specific
wavelengths, and varying the pressure in the cell to
modulate the selected wavelengths.

Atmospheric Imagers

As indicated in previous sections, atmospheric remote
sensing instruments often have single fields of view,
and are essentially radiometers of various spectral
resolutions. If such a device is used with a scanning
mirror to scan up and down the limb, for example, it
might be called a scanning radiometer. If it makes a
raster-type scan so as to cover two dimensions, then it
might be called an imager.

Imaging from satellites was an early goal of the
space age. If a satellite spins, with its spin axis in the
plane of the orbit and parallel to the Earth’s surface,
then a radiometer viewing perpendicular to the spin
axis scans from one side of the Earth to the other,
beneath the satellite. As the satellite moves forward,

successive scansmay bemade adjacent to one another,
generating an image. Such devices are very attractive,
because simple radiometers become imagers through
themotion and rotation of the satellite, which does not
involve any complexmechanicalmotions in the device
itself; this approach was used in early weather satel-
lites. However, there is a very severe penalty, as the
responsivity of the instrument varies as the fourth
power of the spatial resolution, which drastically
limits high-resolution observations.

The advent of array detectors changed all this.
Limited space precludes a description of array detec-
tors in general, but the most widely known, both
domestically and scientifically is the CCD, the charge-
coupled device. A CCD is a device based on a silicon
substrate, in which pixels are formed by conductive
layers whose voltages are controlled. During image
exposure, electrons released from the silicon are
trapped in their corresponding pixels by the electric
potentials. During readout the electrons from one
pixel are shifted to the next by lowering and raising the
potential barriers. This is done on a row-by-row basis
so that all the charges are eventually brought to the
edge of the chip. There they are captured in a
horizontal shift register, and then shifted pixel-by-
pixel to an output register in which the accumulated
charge is measured and digitized, before being trans-
mitted and recorded. In this ingenious way, a
1000�1000 device containing one million pixels is
read out through a single output channel.

CCD devices have high quantum efficiency in the
visible region, and this is being extended into the
ultraviolet. The same cannot be done in the infrared,
but infrared detectors may be bonded on a pixel-to-
pixel basis to CCD-type multiplexers which are used
to read the signals out. Visible-region CCDs also have
low dark currents (the signal levels produced through
thermal release of electrons in the system), particularly
if they are cooled to modest temperatures, such as
� 501C. There is also a readout noise associated with
the output amplifier, but this noise is very low in
devices available at present. In short, the CCD is close
to being a perfect detector, beyond which no improve-
ment will be possible.

With a camera consisting of a lens and array
detector at its focal point, it is much more efficient
not to spin the satellite but to fix its orientation so that
the imager may be continuously locked on the target,
and the image integrated as long as is desired to obtain
the wanted signal-to-noise ratio. Such a satellite needs
to be accurately oriented through three-axis stabiliza-
tion, but this is now a routine procedure for satellites.

Other interesting configurations are possible. For
example, if the host satellite must spin, for any reason,
it is still possible to use a CCD imager effectively using
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the TDI (timedelay–integrate) mode. In this, the rows
of charges are continuously shifted at a rate that
compensates for the image motion caused by the
rotation of the satellite. Thus the radiance from a
single parcel in the atmosphere is integrated while the
image moves from one side of the CCD to the other,
yielding a much longer exposure time than would
otherwise be available. The same method can be used
in a moving aircraft.

The Fabry–Perot Spectrometer

The Fabry–Perot spectrometer has been in use for
more than a hundred years, since the first exploration
of its properties. The Fabry–Perot etalon consists of
two adjacent surfaces having surfaces with reflectivity
somewhat less than unity, forming a cavity within
which multiple reflections take place; it is a multiple-
beam interferometer. Where the multiple reflections
are in phase the transmitted signal is strong, andwhere
they are out of phase the light is reflected. Thus the
etalon acts as a filter, transmitting wavelength l, as
given by the equationml ¼ 2nt cos y, wherem is the
order of interference, n is the refractive index of the
cavity medium, normally air, t is the thickness of the
cavity, and y is the angle of the ray with the etalon
normal, measured inside the cavity. For most applica-
tions the order of interference varies from about 1000
(low-resolution application) to 100 000 (high-resolu-
tion application). The interference filter is a particular
type of low-resolution etalon, so the Fabry–Perot
etalon is in fact very widely used. For each value of
m; l is different; thus the etalon has a spectral
transmittance resembling a comb, with passbands
equally separated in the spectrum by an amount
known as the free spectral range. These multiple
passbands must be dealt with in some way if the
spectrum is to bemeasured unambiguously. Since l is a
constant for constant y, the transmitted radiation for a
given wavelength/order forms a ring of constant y
about the etalon normal. Each order produces a ring of
a different radius, forming the familiar Fabry–Perot
ring pattern.

The shape of the spectral passband function (its
overall transmittance T) is best expressed in terms of
wavenumber, s ¼ l�1, where r is the individual plate
reflectance, t is its transmittance, and d is the optical
path difference of the etalon ð2ntÞ. TðsÞ is given by
eqn [1].

TðsÞ ¼ ½t=ð1� rÞ�2
1þ ½4r=ð1� rÞ2�= sin2 psd

½1�

This is shown in Figure 3, for an air-spaced etalon of
2.5 cm spacing having r ¼ 0:9; the free spectral range

is 0.2 cm�1. The full width at half-maximum (FWHM)
is equal to the free spectral range divided by the finesse
F, which for Figure 3 is equal to 29.8. Finesse is given
by eqn [2].

F ¼ Free spectral range

FWHM
¼ p

ffiffi
r

p
1� r

½2�

Because the finesse is a constant for a given etalon, the
spectral bandwidth is set by adjusting the etalon
separation. This flexibility is one of the advantages of
the Fabry–Perot spectrometer, which in its simplest
form is just an etalon followedby a lens,with a circular
aperture at its focal point and a detector behind it.
However, to produce a spectrum the etalon must be
scanned. According to ml ¼ 2nt cos y, to change l
one must change n or t or y. n can be changed by
changing the gas pressure in an air-spaced etalon.
For a high-resolution etalon, about one atmosphere
(B101 kPa) of pressure change is required to scan the
spectrum by one order; this was a common technique
for ground-based instruments. Varying t involves the
mechanical movement of one of the etalon plates; in
current instruments this is done with piezoelectric
positioners cemented between the plates. For high
accuracy, capacitors are used to sense the position and
control the piezoelectric voltage in a feedback system.
This method works well at high or low resolution,
since amovement of l=2 causes a scan throughone free
spectral range.

Finally, l can be changed by changing y, and this is
readily achieved through the use of an array detector,
in which radial distance is equivalent to wavelength,
though with a quadratic scale. However, this has the
very nice consequence that equal spectral widths
correspond to equal areas on the detector array. The
disadvantage of this approach is that the rings become

1.0

0.8

0.6

0.4

0.2

0.0
0.0 0.2 0.4 0.6 0.8 1.0

T
ra

ns
m

itt
an

ce

Wavenumber (cm−1)

Figure 3 Multiple passbands for a Fabry–Perot spectrometer

with an air-spaced etalon of 2.5 cm spacing, reflectance of 0.9, and

a finesse of 29.8; the free spectral range is 0.2 cm�1.
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very narrow at the edges of the array, requiring small
pixels, and in the readout, the readout noise is
accumulated for each pixel. This limitation has been
circumvented through the use of CLIO (circle to line
imaging optical system), in which a hollow cone is
used to image the circular fringes into straight lines
that correspond to the pixel layout on the CCD.
Because the CCD charges can be binned, that is, added
together in a noise-free way on the chip before
reaching the output register, this reduces the noise
significantly in the final spectrum.

The superiority of the Fabry–Perot spectrometer is
equal to 2pn2, a factor of 50 greater than for a typical
grating spectrometer which is in turn a factor of about
5 greater than for the prism spectrometer.

The Michelson Interferometer

The Michelson interferometer is fundamentally the
simplest interferometer, having just two beams, creat-
ed in a beamsplitter as shown in Figure 4A, which
recombine and are registered at the detector. The
output signal is recorded as a function of the optical
path difference in the interferometer, which is meas-
ured from zero to some maximum value as one of the
mirrors is moved. This signal is called an interfero-
gram. For a monochromatic signal of infinitesimal
linewidth, the output is simply a cosinusoid of
constant amplitude whose signal period corresponds
to the wavelength, one cycle for every l=2 of mirror
motion. If the spectral line has a finite width, then the
amplitude of the cosinusoid decays with increasing
optical path difference because the different compo-
nents of the line begin to get out of phase. If the
spectrum contains two different wavelengths, there

will be two cosinusoids of different periods and these
will be superposed; for a complex spectrum many
cosinuoids will be superposed. The spectrum there-
fore may be retrieved by a Fourier transform as in
eqn [3], where D is the optical path difference of the
interferometer.

SðsÞ ¼
Z 1

�1
IðDÞ cosð2psDÞ dD ½3�

In actual practice it is more complicated than this. The
interferogram cannot bemeasured to infinity, but only
to someDmax. A real instrumentwill have dispersion in
its optical elements, so that the cosinusoids are phase-
shifted by an amount that is dependent onwavelength,
and the phase must be retrieved. This can be done by
measuring from �Dmax to þDmax and doing both sine
and cosine transforms, but this is an inefficient
process. It is preferable and feasible to use a small
part of the interferogram about zero optical path
difference to determine the phase shifts, and to use this
to create a corrected interferogram that is symmetric
about zero, and for which a cosine transform may be
used.

The Michelson interferometer has the interesting
property that it can be field-widened. If the arms of the
interferometer of lengths t1 and t2 containmaterials of
refractive index n1 and n2 respectively, then the optical
path difference as a function of off-axis angle meas-
ured outside the interferometer is given by eqn [4].

D
2
¼ n1t1 � n2t2 � sin2 i

2

t1
n1

� t2
n2

� �

� sin4i

8

t1
n31

� t2
n32

� �
þ � � � ½4�
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Light In
Light In

M2

M1

M2

M′2

M1

t

n

(A) (B)

Figure 4 (A) The ordinary Michelson interferometer set to zero optical path difference; the emergent rays are colinear and the path

difference is independent of incident angle. (B) A field-widenedMichelson interferometer with refractivematerial in one arm; the emergent

rays are colinear because of apparemt reflection at the virtual mirrorM2 and the optical path difference is independent of incident angle to

fourth order, but there is an optical path difference.
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Figure 4A shows an ordinary Michelson interferom-
eter set to zero optical path difference; the rays emerge
colinearly, making the optical path difference inde-
pendent of angle. In Figure 4B, an optical difference is
introduced through the use of refractivematerial in the
arms, but the rays still emerge colinearly because t1n2
has been made equal to t2n1, causing the term in sin2 i
to vanish. The path difference is thus independent of
angle to fourth order as indicated above, creating a
wide field of uniform path difference.

For the ordinaryMichelson interferometer the term
in sin2 i dominates, which is the same as for the Fabry–
Perot spectrometer when the term ð1� cos yÞ is
approximated. This is why these devices have quad-
ratic angular dispersion. With dispersion of fourth
order, the optical path difference changes very slowly
with angle. This creates a very large O, and a
superiority that is not fixed but increases with
increasing spectral resolution and is equal to
4pn2<1=2. Such field-widened instruments have
much higher responsivity at high spectral resolution
than other instruments, but the concept is difficult to
implement since it requires varying the thickness of
refractive materials. For that reason its use has been
limited to very specific applications.

Applications to Current Missions

NASA’s Upper Atmosphere Research Satellite
(UARS), launched on 12 September 1991 and still
operating in orbit in 2002, carries ten instruments,
many of which use the concepts that have been
described. The Cryogenic Limb Array Etalon Spec-
trometer (CLAES) makes use of solid low-resolution
etalons (resolution about 0.65 cm�1) to observe ther-
mal emission from the atmosphere over a wavelength
range from 3.5 to 13 mm. Four etalons are mounted in
a paddle wheel, allowing them to be sequentially
inserted into the instrument beam, but also to make a
sequence of measurements with one etalon at small
angular increments, providing a wavelength scan for
each filter. Results were shown in Figure 2 for one of
the measured species; it also obtained temperature
from observations of CO2.

The Improved Stratosphere andMesosphere Sound-
er (ISAMS) is a pressure-modulated radiometer, which
alsomeasured thermal emission from the Earth’s limb.
The Halogen Occultation Experiment (HALOE), uses
both filter and gas cell absorption channels. However,
it does not measure thermal emission from the atmos-
phere but rather atmospheric absorption of sunlight,
by viewing the Sun at the Earth’s limb, a method
known as solar occultation. The absorption technique
is very accurate because it is self-calibrating, but it
restricts the observations to the one sunrise and the one

sunset that occur on each orbit, normally fifteen of
each on a given day at the UARS altitude of 585 km.

The fourth species-measuring instrument is the
Microwave Limb Sounder (MLS), which is not an
optical instrument but a submillimeter-wave radiom-
eter measuring at the frequencies of 63, 183, and 205
GHz. However, the distinction between radio wave
and optical wave techniques is blurred, as Michelson
interferometers can reach into the submillimeter
region, and radio frequencies are now as high as 600
GHz, which overlaps this.

The UARS satellite carries two instruments that
measure atmospheric winds. The first of these is the
High Resolution Doppler Imager (HRDI), a train of
three Fabry–Perot etalons of different free spectral
ranges, which are arranged to suppress all but a single
passband. A multianode detector is used, with 30
annular elements in a single device, that correspond to
Fabry–Perot rings, thus providing30 spectral elements.
This provides the scanning of the high-resolution
etalon, which has a fixed spacing. The medium- and
low-resolution etalons are scanned using piezoelectric
drivers to align their passbands. From 60km up to
110km, winds are measured using airglow emission
from the O2 Atm band. Below 50km, the shifts of O2

absorption lines seen in scattered sunlight are used to
determine winds in the stratosphere. The Wind Imag-
ing Interferometer (WINDII) uses a field-widened
Michelson interferometer of quasi-fixed optical path
difference to measure winds from different airglow
emissions covering the range 80–300km.The field
widening allows an imaging CCD detector to be used,
which images the full altitude range of the atmosphere
as viewed at the limb. The refractive materials are
chosen to provide not only field widening, but also
achromaticity of thefieldwidening, thermal stability of
the optical path difference, and achromaticity of the
thermal stability. Both HRDI and WINDII have been
very successful and agree well with each other in the
altitude range inwhich they overlap. Combined results
from the two instruments are shown in Figure 5.

The Future

The concepts described here are capable of further
development, and these and other ideas are being and
will be exploited in other missions. The Odin satellite,
launched in February 2001, carries two instruments,
one a submillimeter wave radiometer extending up to
580GHz, intended tomeasure chlorine, nitrogen, and
hydrogen species, including H2O, H2

18O, CO, andO3.
The other instrument is a grating spectrograph that
measures the spectrum of scattered sunlight, which
contains the absorption signature of atmospheric
species. While grating spectrographs have not been
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described here, they are suitable where the observed
radiance is large, and a wide spectral range of modest
resolution is desired. The TIMED satellite launched
December 2001 carries among other thermosphere
and mesosphere instruments a single-etalon Fabry–
Perot spectrometer that uses theCLIO typeof detector,
for the measurement of winds.

The MOPITT instrument, launched on the Terra
satellite in December 1999 is a length-modulated
radiometer intended to measure CO in the tropo-
sphere. A Fourier transform spectrometer called AT-
MOShas been flown several times on the Space Shuttle
and obtained very high resolution absorption spectra
of the atmosphere in solar occultation mode. A much
smaller version of higher resolving power called ACE
will be launched on the Canadian SciSat mission in
2003, along with a diffraction grating spectrograph
called MAESTRO. A recent major launch was that of
the European Space Agency Envisat, on March 1,
2002. It carries two ambitious diffraction grating
instruments, GOMOS for stellar occultation and
SCIAMACHY for downward viewing, as well as
MIPAS for high resolution FTspectroscopy.Work is in
progress for the application of WINDII-type instru-
ments for wind measurements in the mesosphere,
using airglow, and in the stratosphere, using thermal
emission from a minor constituent such as ozone. For
winds in the troposphere, where pressure shifts and
broadening are large, lidars must be used; the Euro-
pean Space Agency (ESA) has such an Atmospheric
Dynamics Mission in the development phase.

See also

Observations for Chemistry (Remote Sensing): IR/
FIR; Lidar; Microwave. Satellite Remote Sensing: Aer-
osol Measurements; Cloud Properties; GPS Meteorology;
Precipitation; Surface Wind; TOMS Ozone; Temperature
Soundings; Water Vapor; Wind, Middle Atmosphere.
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on NASA’s Upper Atmosphere Research Satellite. The cellular structure on both sides of the Equator is the signature of the diurnal tide

which is produced near the Earth’s surface by solar heating but then propagates upward. The amplitude increases as the atmospheric

density decreases, so that the tides become very large near 100 km; above about 120 km it rapidly dissipates. (Prepared by the late
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Introduction

Since the beginning of systematic studies on cyclone
tracks, it has been noted that many mountain ranges
act as preferred locations for cyclogenesis. An
illustration of this is provided in Figure 1 in terms
of cyclogenetic areas and associated storm tracks.
The chart is based on hand-counted frequencies
of closed isobars on sea-level pressure charts. Besides
the classical Atlantic and Pacific storm tracks that

emanate to the east of the continents, a range of
smaller-scale cyclogenetic areas can be identified in
close vicinity to topographic obstacles. Particularly
worth noting is the elongated region to the lee of the
Rocky Mountains, the Gulf of Genoa to the south of
the Alps, and an area near the southern tip of
Greenland. In the literature, many additional regions
of orographic cyclogenesis are documented. In the
Northern Hemisphere this includes the Atlas moun-
tain range in Algeria, the central Japanese mountains,
the Tibetan plateau, and the Altai mountains. In the
Southern Hemisphere, orographic cyclogenesis is less
abundant but has, for instance, been reported for the
Andes and the Transantarctic mountain range.

The mountains under consideration are thus char-
acterized by a wide range of horizontal scales, and
include both ‘synoptic-scale mountains’ such as
Greenland and the Rocky mountains, as well as

(A) (B)

Figure1 Cyclogenetic areasandassociated storm tracks in theNorthernHemisphere for January, basedonhand-counted frequencyof

closed isobars on conventional surface pressure charts (with 4 hPa contour interval). The two panels relate to (A) cyclogenetic regions

(new closed lowmaintained for at least 24 h), and (B) the frequency of cyclones. The numbers relate to the counts on a 51�51 grid during

the 20 Januaries from 1958 to 1977. (From Whittaker and Horn (1984).)
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‘meso-scale ranges’ such as the European Alps, the
Pyrenees, and theAtlas, tomention just a few.Herewe
will focus attention upon orographic cyclogenesis to
the lee of the Rocky mountains and the Alps, and
thereby cover examples from both these categories.

Synoptic and Climatological
Description

Alpine Lee Cyclogenesis

The Alps are an arc-shapedmountain rangeB800 km
long that has a mean halfwidth of L � 100 km and an
average ridge height ofH � 3 km. Additional distinc-
tive features of the range are major valleys that run
predominantly north or south onto the foreland and
connect at several Alpine passes, typically with
altitudes between 1800 and 2500m. The highest
peaks of the Alps reach up to 4800m.

Alpine lee cyclogenesis has been the subject of
intense observational, theoretical, and numerical stud-
ies during the last decades. Numerous case studies,
partly based on the Alpine Experiment (ALPEX)
conducted in 1982, provide a comparatively coherent
picture of the main features of an Alpine event. The
parturient synoptic settingof anAlpine lee cyclogenesis
event is the approach of a cyclone toward central or
northern Europe and the passage of the associated cold
frontwith anaccompanyingupper-level trough toward
the Alpine ridge (see Figure 2). The approach of this
system initiates a highly transient phase of Alpine
weather, with a duration of normally 2–3 days. Ahead
of the approaching cold front, there is usually south-
westerly flow toward the Alps. The respective air-
streamconsists ofwarmandmoist air, is comparatively
weakly stratified, and is associated with high wind
velocities. It is able to rise over theAlpine ridge, leading
to South Föhn to the north (Figure 2A). The cold air
behind the cold front, however, ismore stably stratified
and often capped by a pronounced inversion. It is
usually unable to climb the Alps but is rather deflected
laterally. The orographic interception of the front is
accompanied on the windward side by retardation,
low-level blocking, and flow splitting; by the steepen-
ing of the baroclinic zone; by the build-up of an
impressive pressure gradient across the Alpine barrier;
and by the generation of the Mistral flow to the west
(Figure 2B) andBora to the east of theAlps (Figure2C).

To the lee the cyclogenesis evolves in two phases: a
first phase comprising the in situ rapid development of
a surfacemesoscale low, followed by a less rapid phase
involving an increase in both the horizontal and
vertical scales of the system together with its possible
translation away from the immediate lee region. The
secondphase is characterized by the arrival in the lee of

Figure 2 Schematics of an Alpine lee cyclogenesis event

showing (A) incipient cold front, (B) cyclone formation, and (C)

detachment of cyclone from the Alps. The bold arrows depict low-

level air streams with light and dark shading indicating air streams

ahead and behind the cold-front. The thin arrows show the upper-

level flow.
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an upper-level trough. In the absence of a suitable
phase relationship between the low-level incipient
cyclone and the upper-level trough, the shallow first-
phase vortex is unable to grow vertically and decays
quickly. Deep cyclones, on the other hand, detach
from the Alps and take on the characteristics of typical
extratropical depressions.

On average, about 30 Alpine lee cyclones are
observed per year, with maximum frequency during
the spring and autumn seasons. The climatological
distribution of lee cyclogenesis suggests a predominant
formation near the south-western tip of the Alps over
the Gulf of Genoa. This geographic concentration
betokens an orographic influence. Once a deep lee
cyclone has formed, it becomes an important governor
of the regional weather and climate. Lee cyclones often
attain maximum strength when located over northern
Italy, and the associated strong southerly flow ahead of
the cyclone can induce storm surges in the Adriatic Sea
(which occasionally threaten Venice) and advect moist
Mediterranean air toward theAlps (which substantially
contributes to theannualprecipitation totals innorthern
Italy and the eastern Alps). Following their formation,
lee cyclones propagate toward the east, following one of
twomajor tracks. The first leads across the eastern Alps
into eastern Europe, while the second follows the
northern border of the Mediterranean Sea. As a result,
Alpine lee cyclones are crucial to the precipitation
climate in the eastern Mediterranean region.

Rocky Mountain Lee Cyclogenesis

The Rocky Mountains are oriented approximately
north–south from Alaska to central Mexico, and are
characterized by a mean ridge height of�3km. Their
length and width correspond to approximately
4000 km and 800 km in the north–south and west–
east directions, respectively, and these scales exceed
those of the Alps by almost an order of magnitude.

RockyMountain lee cyclogenesis usually startswith
an anticyclone residing over the mountain, and an
incident low-pressure system over the Pacific (see
Figure 3A). As the Pacific low approaches the conti-
nent, it moves poleward (Figure 3B) and finally
disappears (Figure 3C), while the initial high-pressure
system moves south-eastward. Slightly prior to the
arrival of the upper-level trough, a new surface low
forms, typically 1000 km to the south of the last
windward position of the Pacific low. After the upper-
level trough has propagated over the Rocky Moun-
tains, a deep development may follow. Usually the lee
cyclone moves somewhat farther south before it
propagates eastward and finally joins the Atlantic
storm track. Strictly speaking, these events do not
necessarily invoke a ‘new’ cyclone, but may be

interpreted as an anomalous southward propagation
of the low when crossing the Rockies (whereby the
cyclone is masked by the mountain anticyclone),
followed by regeneration in phase with the arrival of
the upper-level trough.

Case studies have identified a series of associated
mesoscale processes. When the parent cold front
impinges upon the Rockies, observations demonstrate
that there is frontal retardation, associated frontogen-
esis, and often the formation of an impressive tropo-
pause fold that implies a descent of stratospheric air
toward the cyclonic region. The relevance of Rocky
Mountain cyclogenesis for the mid-west is evident
from the frequent explosive developments, which
often have important repercussions in terms of
extreme weather events. Distinct frequency maxima
are found, both inwinter and summer, to the east of the
highest parts of the Rockies in Alberta and Colorado.

Dynamical Mechanisms

There is a great variety of orographic depressions,
ranging from small mesoscale vortices that may
involve latent heating and convection, to deep lee
cyclones that during their life cycle approach the
typical structure of extratropical cyclones. Here
attention is restricted to the latter category. The
development of these deep lee cyclones involves –
at least in the second phase – the typical ingredients of
regular extratropical cyclogenesis, such as a vertical
coupling between low-level thermal and upper-level
potential vorticity (PV) anomalies (see Cyclogenesis),
sometimes affected by concomitant intensification by
diabatic effects. Often lee cyclones form in an
environment that would seem to support cyclogenesis
even in the absence of topography. Numerical exper-
iments with and without orography suggest that the
role of the topography is often to trigger andmodulate
cyclogenesis, whichwould otherwise occur in the near
vicinity and/or somewhat later in time. Despite the
close relationship to regularmid-latitude cyclogenesis,
a great variety of orographic mechanisms have been
proposed, which may act in concert with classical
cyclogenetic processes. Some of the key dynamical
mechanisms are reviewed below.

Regime Diagram for Steady Flow Past Topography

While lee cyclogenesis is always a highly transient
feature, essential aspects of its dynamics can be
understood by resorting to the theory of steady flows
past isolated topography. Here consideration is given
to the dry flow of an airstream of uniform upstream
velocity U and Brunt–Väisälä-frequency N toward a
circular obstacle of height H, horizontal scale L, and
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shape Hð1þ r2=L2Þ�3=2. Assuming free-slip lower
boundary conditions and hydrostatic dynamics, the
flow-response is governed by two dimensionless param-
eters.TheseareaRossbynumberbasedon themountain
width, (eqn [1], with f denoting the Coriolis parameter)
and a dimensionless mountain height (eqn [2]), which is
sometimes referred to as inverse Froude number.

Ro ¼ u

Lf
½1�

e ¼ NH

u
½2�

The regime diagram spanned by these parameters is
considered in Figure 4.

For the flow system described above, quasi-geo-
strophic solutions for an unbounded atmosphere exist
provided that the dimensionless slope of the obstacle
satisfies eqn [3].

Roe ¼ NH

Lf
o 1

2
½3�

The respective regime boundary is included in Figure 4
as a bold line. The consideration of higher-order
balance beyond the quasi-geostrophic system does not
notably extend the validity of the balanced dynamics.
The main feature of the quasi-geostrophic flow
response is the presence of an anticyclone sitting
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(D)(C)
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Figure 3 Schematics of Rocky Mountain Lee Cyclogenesis at approximately 12 h intervals. The shading represents a simplified

orography with terrain higher than 1500m. The heavy solid lines denote surface fronts, the solid lines the 1000hPa geopotential, the

dashed lines the 500hPageopotential, and the dash-dotted line the position of the upper-level trough. (FromPalmén andNewton (1969).)

OROGRAPHIC EFFECTS / Lee Cyclogenesis 1605



over the mountain top. This is generated by vortex
tube compression as the flow is directed over the
obstacle. In the Northern Hemisphere, the presence of
the mountain anticyclone implies an accelerated
(decelerated) flow on the left-hand (right-hand) flank
of the mountain (looking downstream). Flows with
e > ecap ¼ 3

ffiffiffi
3

p
=2 are in addition characterized by a

stagnation point and a concomitant Taylor cap
(a vertically confined region of closed streamlines),
but these flows appear not very relevant to atmos-
pheric conditions.

In the absence of background rotation ðRo ¼ 1Þ,
the dimensionlessmountain height is the single control
parameter in the limit of the inviscid and adiabatic
dynamics with a free-slip lower boundary condition.
Thus the flow response does not dependupon the slope
of the obstacle, but on its height alone. Idealized
numerical simulations have served to identify
the major flow regimes. For configurations
with eoecrit �1:2, where ecrit denotes the critical
mountain height, the flow is essentially inviscid and
adiabatic, and predominantly directed over (rather
than around) the obstacle. In contrast, for e > ecrit,

there is low-level flow splitting and the flow is around
the obstacle. The later configuration implies the
breakdown of the inviscid dynamics due to
gravity-wave breaking and/or flow separation, and
leads to the formation of a wake. In the presence of
background rotation ðRoo1Þ, the critical mountain
height increases with the Rossby number. The respec-
tive regime boundary is included in Figure 4 as a bold
line. Unlike the regime boundary for balanced solu-
tions, it represents a sharp transition that involves a
bifurcation.

To conclude the discussion, the typical range of the
flow parameters ðRo; eÞ has been included in Figure 4
for several major mountains of the Earth. The param-
eter range gives a crude estimate that takes into
account atmospheric variability. The horizontal scale
of the mountains considered has been estimated from
topographic maps. In the case of elongated obstacles,
the assigned horizontal scaleL is based upon thewidth
(rather than the length) of the mountain. For the
mountain height, the maximum height has been
selected in the case of isolated mountain peaks (e.g.,
for the Matterhorn), and the mean ridge height in the
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case of complex mountain ranges (e.g., for the Rocky
Mountains and the Alps).

Two important inferences follow from Figure 4.
First, most mesoscale mountain ranges (such as the
European or Southern Alps) do not allow for a
confident application of the quasi-geostrophic or
balanced dynamics. For typical mid-latitude values
of f=N � 0:01, the breakdown of the quasi-geo-
strophic dynamics occurs for obstacle slopes of
H=L � 0:005. Mesoscale mountain ranges thus have
horizontal scales that are about half an order of
magnitude too small for confident application of the
quasi-geostrophic theory. In the case of strong flow or
weak stability, quasi-geostrophic theory may, how-
ever, be qualitatively applicable to the flow past the
Rocky Mountains or Greenland. Second, most major
mountain ranges of the Earth are characterized by a
height that often or always exceeds the critical
dimensionless mountain height for flow splitting. For
many mountain ranges, both flow regimes are possi-
ble, depending upon the ambient atmospheric condi-
tions. This implies that regime transition from flow-
over to flow-around or vice versa may occur.

The Quasi-Geostrophic Framework in the Presence
of Topography

The simplest theory for cyclogenesis in the absence of
topography is due to Eady’s work and applies the
framework of the quasi-geostrophic dynamics (see
Quasi-geostrophic Theory) to a continuously strati-
fied atmosphere of uniform PV, confined above and
below by the surface and a rigid lid. Several attempts
have beenmade to apply this framework to orographic
cyclogenesis. Here we begin by considering the
dynamical foundations of these studies and consider
the quasi-geostrophic dynamics of an adiabatic and
inviscid Boussinesq atmosphere on an f-plane. The
dynamics is governed by the conservation of relative
potential vorticity qn (eqn [4]) in the interior of the
fluid, the thermodynamic equation [5] on the hori-
zontal bounding surfaces, and the hydrostatic relation
[6]).

Dgq
n

Dt
¼ 0 with qn ¼ zg þ

f 2

N2

q2

qz2
pn

r0

� �
½4�

Dg

Dt

gyn

Y

� �
þwN2 ¼ 0 ½5�

q
qz

pn

r0

� �
¼ gyn

Y
½6�

Here the starred quantities denote the deviation from
the Boussinesq background state r0; y0; p0ð Þ of con-
stant Brunt–Väisälä frequency N;Y is a constant

reference potential temperature, the Dg=Dt operator
refers to the total derivative following the geostrophic
motion (eqn [7]), and zg is the relative geostrophic
vorticity zg ¼ �qug=qyþ qvg=qx.

ug; vg
� � ¼ 1

f
� q
qy

;
q
qx

� �
pn

r0
½7�

For the classical Eady problem, the atmosphere
is confined above and below by rigid horizontal
surfaces at z ¼ 0 and zT, representing the Earth’s
surface and a rigid tropopause. In the presence of
topography, several studies have employed the ‘shal-
low-mountain’ approximation, whereby the lower
boundary condition is applied at z ¼ 0 rather than
at the real topographic height. This yields eqn [8],
with hðx; yÞ denoting the height of the specified
orography.

w ¼
vg .=h

0

(
for z ¼ 0

for z ¼ zT
½8�

In effect, the shallow-mountain approximation
replaces the mountain by ‘equivalent’ inflow and
outflow through the plane z ¼ 0, while it retains other
nonlinearities of the flow. In comparison with the
full lower boundary condition, the shallow-mountain
approximation can be shown to properly represent the
mountain volume (and thus the far-field circulation),
while it underestimates the mountain height and
slope.

If the flow is of constant PVat an initial time t ¼ 0,
then eqn [4] implies that it remains so forever. In this
case, the governing equations may further be simpli-
fied. Upon defining the quasi-geostrophic streamfunc-
tion [9], eqn [4] simplifies to a homogeneous elliptic
equation [10].

c ¼ 1

f

pn

r0
½9�

qn ¼ r2
hcþ f

N2

q2c
qz2

¼ 0 ½10�

The lower and upper boundary conditions are of
Neumann type and determined by the thermodynamic
equation [5] in combination with the simplified
boundary conditions [8].

Dg

Dt

qc
qz

� �
þN2

f
w ¼ 0 for z ¼ 0; zT ½11�

Some of the mechanisms to be discussed below are
directly based on the quasi-geostrophic system as laid
out above; for others it will be necessary to relax the

OROGRAPHIC EFFECTS / Lee Cyclogenesis 1607



quasi-geostrophic assumption for a part of the rele-
vant processes.

Modification of Baroclinic Instability

One of the early theories of lee cyclogenesis views
orographic cyclogenesis either as a modification of
baroclinic instability by topography or as a scattering
problem studying the effects of topography on inci-
dent growing baroclinic modes. These theories in
essence represent a modification of Eady’s problem.
The basic state flow is thus assigned a vertically
sheared baroclinic structure (eqn [12]).

UðzÞ ¼ Lz ½12�
In the absence of topography, the linearization in a
periodic channel yields the classical Eady instability
problem, which supports growing baroclinic modes.

In the presence of topography, the linearized version
of the simplified lower boundary condition [8] is
combined with [12] to give eqn [13], where dashed
quantities denote the perturbation.

w0 ¼ v0g .=h ðz ¼ 0Þ ½13�

It is important to note that the shallow-mountain
approximation in combination with Uðz ¼ 0Þ ¼ 0
implies that only the perturbation can interact with
the topography, but not the basic state flow itself.
Anticyclonic and cyclonic vorticity may then be
generated through vortex tube compression and
expansion, and this occurs when the perturbation
flow is respectively up and down sloping topography.
The first-order response is sketched in Figure 5 for two
different geometries of an idealized elongated obstacle
with a length scale of several thousand kilometers.
When the topography is aligned from north to south
(as for the Rocky Mountains), an incident low
experiences strengthening to the north and weakening
to the south over the upstream slope of the topo-
graphy, and the opposite pattern downstream. When
the topography is aligned from west to east (as
qualitatively the case for the Alps, but note the

difference in scale), the effect of the topography is to
induce a low-high pressure dipole across the obstacle,
the sign of which is determined by the phase of the
wave.

The full mathematical problem of orographically
modified normal modes may be dealt with either
analytically using expansion techniques, or numeri-
cally using a continuously stratified or two-layer
model. An example of a numerical solution is repro-
duced in Figure 6, which shows the surface stream-
function of a growing mode for the geometry of the
Rocky Mountain. Upstream of the obstacle, the low
drifts toward north and weakens, while a new surface
low reappears to the lee in the south. This sequence of
events is qualitatively comparable with that of
observed Rocky Mountain lee cyclogenesis events
(see Figure 3).

An important feature of the baroclinic instability
mechanism of lee cyclogenesis is that the growth rates
of the classical baroclinic problem are reduced by the
presence of topography (since it inhibits meridional
advection of low-level air). Thus, the mechanism is
unable to explain the rapid growth rates that are
commonly observed in the first phase of Alpine lee
cyclogenesis events, for example.

Generation of Baroclinic Lee Waves

In comparison to the baroclinic instability mechanism
discussed above, the baroclinic lee wave theory does
not include any baroclinic growth but provides a
possible explanation for the rapid initial growth and
pressure drop. The theory is based on essentially the
same dynamical framework as detailed above, with
the following alterations. First, the rigid-lid atmos-
phere is replaced by an unbounded atmosphere
0 � z � 1. By avoiding the rigid lid (the Eady
problem) and the b-plane (the Charney problem),
baroclinic waves are stabilized in spite of the available
potential energy. Second, the basic-state flow is
replaced by eqn [14].

UðzÞ ¼ U0 þ Lz ½14�

(A) (B)

Figure 5 First-order vorticity generation (1) and destruction (� ) by vortex stretching for the baroclinic instability mechanism of lee

cyclogenesis. The two panels show the interaction of an Eady mode with west–east and north–south oriented topographic obstacles,

respectively.

1608 OROGRAPHIC EFFECTS / Lee Cyclogenesis



Unlike eqn [12], this flowmay haveUðzÞ 6¼ 0, and thus
include the interaction of the basic-state flow with the
underlying topography. The choice of this particular
configuration allows for a clear distinction between
unstable baroclinic growth (previous subsection) and
orographic forcing (this subsection).

The baroclinic waves supported by this unbounded
configuration are surface-trapped and decay expo-
nentially with height. For a two-dimensional wave
with wavenumber k and in absence of topography, the
quasi-geostrophic streamfunction is given by eqn [15].

c0ðx; zÞ / e�z=SeiðkxþotÞ ½15�

In eqn [15], o denotes the frequency, and eqn [16]
gives the steering level.

S ¼ f

N
jkj�1 ½16�

The phase velocity of these waves is determined by the
wind at the steering level (eqn [17]).

cp ¼ Sðz ¼ HÞ ½17�

The system supports stationary baroclinic waves
provided there is a wind-reversal at some height Sn,
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Figure6 Example of an orographicallymodified normalmode for the geometry of theRockyMountain lee cyclogenesis. The panels (A)

to (F) show the phases of the development in terms of the low-level streamfunction. (From Buzzi et al. (1987).)
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i.e., Uðz ¼ SnÞ ¼ 0. The wavelength of these waves
may then be obtained from eqn [16].

The baroclinic lee-wave theory views the initial
rapid phase of lee cyclogenesis as the formation of a
standing baroclinic lee wave in an initial-value prob-
lem. An example for a two-dimensional configuration
(with the x-axes pointing perpendicular to an infinite
ridge) is shown in Figure 7. Starting from some initial
conditions (here from the mountain anticyclone), a
standing baroclinic wave quickly develops, with an
associated rapid pressure drop of 35 hPa in 24 h. The
key requirement of this mechanism is the presence of a
wind-reversalwith height, a configuration that is often
(but not always) met in the Alpine cases but is rarely
met with Rocky Mountain lee cyclogenesis.

Low-Level Blocking of Approaching Cold Air

The mechanisms discussed in the previous two sub-
sections are entirely based on the quasi-geostrophic
dynamics (assuming small Rossby numbers) and on a
simplified lower boundary condition (implying
absence of flow splitting). As discussed above, these
conditions are rarely met with major topographic
obstacles. Most orographic cyclones thus entail the

violation of the balanced and the inviscid dynamics
during the first phase of their development. Neverthe-
less, the formation of the mature cyclone during a
second phase is likely to follow a largely balanced
evolution. A dynamical interpretation may be sought
by considering the first-phase unbalanced generation
of orographic flow perturbations but assuming that
their second-phase interaction with the synoptic-scale
dynamics is approximately balanced. It then follows
from the invertibilityprinciple that relevant orographic
perturbations must be associated with (i) a surface
potential temperature anomaly (to be treated in this
subsection), and/or (ii) an internal PV anomaly (to be
treated in the next subsection). These flow anomalies
in essence represent a conceptual intermediary
between the (unbalanced) mesoscale dynamics, and
the subsequent (essentially balanced) interaction of
orographically generated flow anomalies with the
synoptic-scale environment.

A well-documented mechanism for the generation
of surface potential temperature anomalies is the
retardation and deformation of an approaching cold
front. When cold air advection interacts with oro-
graphic flow splitting, a warm anomaly results within
the sheltered lee of the obstacle. An example of this
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Figure 7 Transient development of a standing baroclinic wave to the lee of a two-dimensional ridge in a sheared background flow. The

initial mountain anticyclone exhibits a rapid decay and there is a strong pressure drop to the lee (surface pressure (in hPa)). The dashed

curveshows theasymptotic steady-state leewave.Thedistancecoveredby thegroupvelocity is indicatedby thedot oneachcurve. (From

Smith (1984).)
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process is presented in Figure 8. It shows an Alpine
trajectory analysis derived from a real-case numerical
simulation (with 14 km horizontal resolution). The
starting points for the relevant trajectories were
selected immediately behind an impinging cold front.
Pronounced flow splitting occurs and the track of the
trajectories encompasses an extended wake region
that is B5K warmer than the surrounding air. It is
important to realize that the scale of the resulting
surface-y anomaly may differ from that of the topog-
raphy. In the example shown, the wake anomaly has
an extension of almost 1000 km in the downstream
direction, exceeding theAlpinewidth by a large factor.
A surface anomaly of this size can well interact
with the larger-scale balanced part of the flow
evolution.

The orographic retardation of cold air advection
implies geostrophic (or higher-order balanced) adjust-
ment of the heavily distorted baroclinic configuration.
This may induce a pressure drop and associated
vertical motion. However, from the viewpoint of the
balanced dynamics, it is the warm low-level air itself
that constitutes the driving agent of this development.
The implications in terms of surface pressure pertur-
bation may be estimated from quasi-geostrophic
theory. To this end, consider a circular surface-y

anomaly of the form of eqn [18], with r denoting the
radius and L its horizontal scale.

yn r; z ¼ 0ð Þ ¼ Dy
r

L

� �2
þ1

� 	�1=2

½18�

In an unbounded atmosphere, the associated three-
dimensional quasi-geostrophic streamfunction can be
found by solving eqn [10] subject to the lower
boundary condition obtained from the hydrostatic
relation [6], i.e.,

qc
qz

¼ 1

f

gyn

Y
½19�

It can easily be verified that expression [20] is the
desired solution.

cðr; zÞ ¼ � gDy
Y

L

N

r

L

� �2
þ N

f

z

L
þ 1

� �2
" #�3=2

½20�

Thus, the surface pressure perturbation in the center of
the anomaly is given by eqn [21].

Dp ¼ �fr0
L

N

gDy
Y

½21�

Figure 8 Splitting of an incident low-level airstream (initially located at the 850hPa level) by the Alps. The figure derives from three-

dimensional 54 h trajectory computations driven by a numerical simulation of a cold-frontal passage on 30 April 1982. (From Kljun et al.

(2001).)
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Using typical mid-latitude values for f and N, and a
potential temperature anomaly with an amplitude of
Dy ¼ 10K and a horizontal scale of L ¼ 500km, one
finds a pressure perturbation with an appreciable
amplitude of � 17 hPa.

Generation of Low-Level Potential Vorticity
Anomalies

In addition to surface potential temperature anoma-
lies, orographic wakes comprise low-level internal PV
anomalies that may interact with the balanced synop-
tic-scale environment. The generation of such PV
anomalies is intimately related to the generation of lee
vortices (seeLeeVortices). In essence, PVin lee vortices
results from the violation of PV conservation by
diabatic or viscous processes. Relevant processes for
orographic flows include surface friction, dissipation
by either gravity-wave breaking or flow separation,
and diabatic heating associated with orographic pre-
cipitation. The formation of lee vortices is familiar
from mountainous islands, where they may lead to
spectacular Karman vortex streets on satellite pic-
tures.

Wakes with low-level PV features can often be
identified in numerical weather prediction models. In
the case of the Alps, the formation of elongated PV
streamers in the wake appears to occur almost
whenever there is appreciable flow past the Alpine
ridge. An example is shown in the left-hand panels of
Figure 9. These show the formation of a large number
of orographic PV streamers at the 850 hPa level, which
will be referred to as ‘PV banners’. The situation
considered is that of a cold frontal passage followed
by deep lee cyclogenesis. The figure is based on a
mesoscale simulation with a horizontal resolution of
14 km.

Individual pairs of banners with anomalously
positive and negative values of PV can be attributed
to individual flow-splitting events, either on the
scale of the whole of the Alps (primary banners) or
on that of individual massifs and peaks of the
model topography (secondary banners). The simulat-
ed PV banners have amplitudes of several PV units,
and grow in length when the orographically generated
PV anomalies are advected downstream. In this
way, Alpine banners can attain a length of up to
1500 km on occasions. The existence and apparent
stability (with respect to shedding instabilities) of such
banners has been verified observationally within the
Mesoscale Alpine Programme (MAP) conducted in
1999.

The formation of a multitude of banners
has implications for their far-field effects, and thus
their ability to affect the balanced dynamics.

In essence, the far-field effect will be dominated by
the primary (outermost) banners, while the effect of
the secondary banners will decay quickly with height,
as governed by the associated Rossby depth of
deformation af=N, where a denotes the distance
between neighboring banners. Only the primary
banners may invoke deep interaction with other flow
features, such as an approaching upper-level PV
streamer. The right-hand panels of Figure 9 suggest
this kind of effect. The respective simulation is
identical to that in the left-hand panels, except
for the use of idealized ellipsoidal topography.
It shows how the primary PV banner to the west of
the Alpine ridge rolls up and contributes to the low-
level PV within the initial core of the developing lee
cyclone.

Synthesis

In the 1980s, the multitude of processes that can
contribute to lee cyclogenesis triggered a scientific
debate about lee cyclogenesis theories. A sophisticated
testing methodology was developed that involves
projecting the key assumptions of a theory (such as a
linearization strategy and lower boundary conditions)
onto a numerical simulation of a lee cyclogenesis
event. The methodology is applicable to theories with
well-defined mathematical stipulations (such as the
modified baroclinic instability and the baroclinic lee-
wave mechanisms discussed above). The application
of the testing methodology has demonstrated that
none of the tested mechanisms alone is sufficient to
explain the simulated lee cyclones, despite some
support for these mechanisms from case studies and
statistical investigations.

It thus appears that a unique mechanism for lee
cyclogenesis does not exist. Rather lee cyclogenesis
derives from a combination of different factors, with
relative contributions that vary from mountain to
mountain and case to case. Nevertheless, the blocking
of low-level cold air in combination with upper-level
PVadvection appears to play at least some role inmost
of the cases. This mechanism is well compatible
with the classical cyclogenesis theory in absence of
topography, and applicable to many mountain
ranges, among them the Alps and the Rocky
Mountains. It is interesting to note that as early as
1920, orographic blocking and cold frontal retarda-
tion was mooted by the Austrian meteorologist
Heinrich von Ficker as being the likely explanation
for Alpine lee cyclogenesis. In the 1950s, the mecha-
nism was revived by case studies, and in the early
1970s by the first numerical modeling work on the
subject.
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See also

Baroclinic Instability.Cyclogenesis.Cyclones,Extra
Tropical. Dynamic Meteorology: Balanced Flows; Po-
tential Vorticity. Lee Vortices.Quasi-geostrophic The-
ory. Vorticity.
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Introduction

Mountain waves are buoyancy waves (also termed
internal gravity waves) induced by airflow over
mountains. Under favorable conditions these waves
can propagate vertically away from the mountains
through the troposphere and into the stratosphere.
Because of the increase in wave amplitude with
decreasing density in the atmosphere, upon reaching
the lower stratosphere (�20–25 km altitude) the
amplitude of vertical displacements can be as much
as 1–1.5 km, even for airflow over mountains of
modest height. Air parcels in the stratosphere moving
at nearly constant potential temperature experience an
adiabatic temperature excursion as they pass through
the wave disturbances, which under steady synoptic
conditions are usually stationary over the mountain.
The amplitude of the temperature perturbation experi-
enced by an air parcel, DT, is equal to

DT ¼ ðg=cpÞDz ½1�

where T is the temperature in kelvins, Dz the ampli-
tude of the vertical displacement due to the wave, g

the acceleration due to gravity, and cp the specific
heat capacity of dry air at constant pressure
(1005 JK�1 kg�1), giving a temperature change of
about 1K per 100m of vertical motion (the effect of
moisture on the adiabatic temperature perturbation is
negligible at the very lowwater vapor mixing ratios of
the stratosphere.) Thus, temperature perturbations in
stratospheric mountain waves can be as much as
10–15K from the prevailing synoptic-scale tempera-
ture field.

It is well recognized that breaking mountain waves
(due to the overturning of large-amplitude waves) in
the upper atmosphere are an important sink for
momentum, and that they therefore play an important
role in the large-scale flow of the atmosphere. It has
recently become clear that mountain waves penetrat-
ing into the stratosphere can also influence strato-
spheric chemistry and particle microphysics on
localized and even large scales. Although the spatial
and temporal scales of stratospheric mountain wave
temperature perturbations are small, they have the
potential to exert a strong influence on stratospheric
chemistry. There are three reasons for this strong
influence. First, many important chemical reactions
occurring on stratospheric aerosol and cloud particle
surfaces have a very sensitive, nonlinear dependence
on temperature, meaning that localized large
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reductions in temperature inmountainwaves can have
a disproportionate influence. Second, polar strato-
spheric clouds (PSCs) can form at low temperatures,
which leads to a dramatic increase in particle surface
area, and hence in the rates of heterogeneous chemical
reactions. Third, although the time spent by air in a
mountain wave may be short, the time constant for
subsequent recovery of the chemical composition of
the air can bemany days or weeks in the polar regions.
In this article, the effect of mountain waves on
aerosols, cloud formation, and chemistry is described.

The Nature and Occurrence of
Mountain Waves in the Stratosphere

The nature of a stratospheric mountain wave depends
very much on the conditions under which the wave is
forced. Important parameters include the height and
shape of the mountain, and the wind strength and
orientation of the wind to the mountain ridge axis, as
well as the vertical profile of wind direction and speed
and the stability structure of the atmosphere. A good
example of a large-amplitude wave induced by the
Scandinavian mountain ridge is shown in Figure 1,

calculated using the National Center for Atmospheric
Research – Penn State University model MM5 by
Dörnbrack and co-workers. The temperature mini-
mum just downwind of themountains, the subsequent
maximum and the secondary minimum about 400 km
further downwind are typical of the types of wave
induced by this ridge. Such a wave structure has been
observed directly by radiosondes and indirectly by the
associated formation of ice clouds in the low-temper-
ature region of the wave. Such measurements also
indicate that the wave amplitude can exceed that
calculated by the model in this case, owing mainly to
the presence of shorter wavelengths that are not
resolved by the model.

Ice clouds can form in mountain wave temperature
perturbations when the prevailing large-scale temper-
ature is close to the ice frost point. The ice frost point is
about 185–190K at pressures of between 30 and
100 hPa in the lower stratosphere with about 5 parts
per million of water vapor. Thus, a large-amplitude
mountain wave can be expected to induce ice cloud
formation wherever the synoptic-scale temperature is
below 195–200K, meaning that mountain wave ice
cloud formation is normally restricted to the winter
polar stratosphere.
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Figure1 Model calculation of the temperature field inducedbyamountainwaveoverScandinavia on 22January 1997at 26 kmaltitude.

The MM5 model used for this calculation was run at 15 km horizontal and 600m vertical resolution. With permission of A. Dörnbrack,

Deutsche Forschungsanstalt für Luft- und Raumfahrt, Germany.
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To get a global view of mountain-induced waves it
has been necessary to use less sophisticated, but
numerically faster, numerical models than MM5.
One such code, developed by Julio Bacmeister and
Steven Eckermann at the Naval Research Laboratory
inWashington,DC, has been used regularly to forecast
stratospheric turbulence for NASA scientific aircraft
missions. The model can also be used to identify the
majormountain ranges that can generate stratospheric
mountain wave temperature perturbations. Figure 2
gives an impression of the regions of the Northern
Hemisphere where mountain waves can induce local-
ized polar stratospheric clouds. The preferred regions
are those where strong mountain wave activity com-
bines with low synoptic temperatures – over eastern
Greenland, Scandinavia, the Urals, the island of
Novaya Zemlya, and the northern mountains of the
central Siberian plateau. Although strong wave activ-
ity occurs over other regions, such as Alaska, the
synoptic temperatures are usually too high to make
mountain wave disturbances important for cloud
formation.

Effects on Polar Stratospheric Clouds

The low temperatures that occur in mountain waves
are ideal for the formation of localized polar strato-
spheric clouds (PSCs). Indeed, most PSCs observed by
eye from the ground are mother-of-pearl ice clouds
induced by airflow over mountains (Figure 3). Such
clouds are similar in form and formation mechanism
to tropospheric lenticular clouds, which are also
formed in mountain waves. In stratospheric mountain
wave clouds there exist in addition to ice other liquid
and solid particles composed of mixtures of nitric and
sulfuric acids. For example, about 4K above the ice
frost point the background aqueous sulfuric acid
aerosols absorb gas-phase nitric acid and water vapor
and grow in volume by a factor of 10 or more to
become liquid-phase polar stratospheric clouds.
Alternatively, the liquid cloud droplets may crystallize
to form solid nitric acid hydrates, with particle sizes
similar to those in liquid clouds.Observations confirm
that all three PSC types – liquid, nitric acid hydrate,
and ice – can exist in rapidly evolvingmountainwaves.
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Figure 2 The location of stratospheric mountain waves with amplitudes large enough to induce ice cloud formation for December and

January 1994 at approximately 20–22km altitude. Open circles – temperatures lower than the ice frost point; filled circles – temperatures

4K lower than the ice frost point, which is the temperature at which ice particles are expected to form out of supercooled liquid aerosol.

(Reproduced with permission fromCarslaw KS,Wirth M, Tsias A, et al. (1988) Increased stratospheric ozone depletion due to mountain-

induced atmospheric waves. Nature 391: 675–678. r 1998 Macmillan Magazines Ltd.)
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Ice clouds are often clearly visible from the ground as
colorful mother-of-pearl clouds, while the nitric acid-
containing clouds seem to be visible under twilight
conditions as an optically thin haze.

Particle Microphysics in Mountain-wave Clouds

The principal difference between a wave-induced PSC
andone formed on the synoptic scale is the cooling and
heating rate of the air. PSCs forming on the synoptic
scale experience cooling rates of a few Kday�1, while
those formed in mountain waves may experience
cooling rates as high as 5Kh�1 (equivalent to
120Kday�1). The higher cooling rates ensure that
the particle growth in the wave clouds by uptake of
nitric acid and water vapor occurs far from thermo-
dynamic equilibrium. At the same time, high super-
saturations with respect to solid phases can be
induced. The supersaturation with respect to ice
(equal to the ambient water partial pressure divided
by the saturation vapor pressure of ice) can be as high
as 140–160%. This comparatively high supersatura-
tion induces very high ice nucleation rates, thus
allowing most aerosol particles in the wave to grow
into ice crystals.

Much has been learned about particle microphysics
inwave clouds from studies of the optical properties of

the clouds (using lidar; see below) or frommicrophys-
icalmodels. There have been fewmeasurements in situ
of particle sizes to confirm the predictions of these
model simulations, while only recently have pioneer-
ing balloon-borne measurements of particle composi-
tion been achieved.

Microphysical models describing the time-depend-
ent growth and composition changes of different PSCs
due to uptake of gas-phase species have been quite
successful in describing the evolution of the clouds, at
least in so far as reproducing the cloud structure and
optical properties.One techniquehas been toderive an
air parcel trajectory from lidar observations of wave
clouds. Such observations (Figure 4) often reveal thin
layers of increased aerosol backscatter, which have
been taken to be quasi-stationary air parcel (or
particle) trajectories through the cloud. A microphys-
ical model is then used to simulate particle processes
along the trajectory and the calculated particle sizes
used to determine the aerosol backscatter properties of
the simulated cloud at the wavelengths of the lidar.

Figure 4A shows a typical example. The green
regions of moderate backscatter are liquid PSC com-
posed of HNO3/H2SO4 solutions and the yellow and
red region of high aerosol backscatter is an ice cloud
with the familiar lenticular shape that is apparent from
visual observations (note, however, that the vertical

Figure 3 An ice polar stratospheric cloud (mother-of-pearl cloud) over Kiruna in northern Sweden. (With permission from Carl-Fredrik

Enell.)
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scale is exaggerated, which accounts for the apparent
large tilt in the cloud layer). Modeling studies using
such observations suggest the following:

1. Most (between 50 and 100%) of the liquid aerosol
entering the wave disturbance freezes as water ice,
giving ice crystal number densities of the order
5–10 cm�3. This gives the clouds a characteristic
high aerosol backscatter when probed with a lidar
and contributes also to a high optical opacity
when viewed from the ground. The high number
density of ice crystals restricts their radius to about
1–2 mm. Visible light scattering by such cloud
particles depends on wavelength, which partly

explains why the clouds appear colored in natural
light.

2. It appears that the liquid aerosol must be cooled to
about 3–4K below the ice frost point (typically
190K) before they freeze (Figure 4B).

3. There is often a transition from liquid aerosol on the
upwind side of the mountain wave ice cloud to an
aerosol that contains some solid particles on the
downwind side. This is apparent in the lidar
depolarization, which is sensitive to the presence
of nonspherical (i.e., solid) particles. These solid
particles are believed to be nitric acid hydrates,
most likely formed by heterogeneous nucleation on
the water ice particles in the middle of the wave,
although this mechanism has not been confirmed
experimentally. Observations using an aerosol
mass spectrometer carried by a balloon and posi-
tioned in the outflow region of wave clouds have
detected nitric acid trihydrate particles.

In addition to these physical properties that can be
validated against lidar observations, the model simu-
lations have also shown that the particles in the wave
are very far from thermodynamic equilibriumwith the
gas phase. The composition of the liquid HNO3/
H2SO4/H2O droplets can therefore be very different
from that predicted assumingHenry’s law equilibrium.
At temperatures where droplets at equilibrium with
the gas phase would contain about 40 mass% HNO3

and 2mass%H2SO4 (about 190K) some droplets in a
wave cloud may have as much as 60 mass% HNO3

and less than 0.01 mass% H2SO4 (i.e., almost a pure
HNO3/H2O solution). It has been suggested that such
large departures from equilibrium may increase the
chance of the aerosols converting to solid nitric acid
hydrates.

The solid nitric acid hydrate PSCs formed in wave
clouds are often observed several thousand kilometers
downwind. It has been suggested that such mesoscale
events could therefore act as a significant source of
solid PSCs observed well away from mountains. This
is important because, as yet, the sources of solid PSCs
other than ice are very poorly understood. It is likely
that mountain waves are one source of solid particle
PSCs on the large scale, but not the only source.

Observations of Mountain Wave Clouds

The majority of mountain wave PSC observations
have beenmade using ground-based and aircraft lidar,
as shown above. In addition to lidar observations of
mountain wave clouds, mesoscale temperature
perturbations and their associated clouds can also be
observed from satellite. The most successful attempt
to detect stratospheric clouds from satellite has
been from observations of the CRISTA experiment.
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CRISTA is a limb scanning instrument that has been
flown behind the Space Shuttle and measures the
infrared emission of the atmosphere in the wavelength
band 4–71 mm. Viewing geometry and radiative trans-
fer problems limit the ability of any limb viewing
instrument to detect small-scale atmospheric struc-
tures. However, the high spatial resolution of the
CRISTA experiment has enabled it to detect both
small-scale temperature perturbations and polar
stratospheric clouds induced by mountain waves.
Ground-basedMesosphere–Stratosphere–Troposphere
(MST) radars can also detect wave disturbances up to
about 13 km altitude. Attempts have also been made
to detect stratospheric ice clouds using the spaceborne
radiometers such as the Advanced Very High Resolu-
tion Radiometer (AVHRR), although this has proved
very difficult owing to the low optical opacity
of the clouds. The novel application of a ground-
based auroral imaging system has also proved
successful for capturing the location and shape
of mountain wave-induced ice clouds. The Auroral
Large Imaging System (ALIS) deployed by the Swedish
Institute for Space Physics in northern Sweden
employs a network of CCD array cameras that can
achieve triangulated measurements of the ice clouds.
In-situ observations of cloud properties are rare,
owing mainly to the difficulty of positioning aircraft-
or balloon-borne instruments precisely enough
to traverse the thin clouds. Indeed, high-altitude
research aircraft such as the American ER-2 have
traditionally avoided regions of mountain wave for-
mation because of the dangers of turbulence in
breaking waves.

Effects on Stratospheric Chemistry

Chemical Processes in the Wave

The localized cooling and warming that occurs when
mountain waves reach the stratosphere can influence
the chemistry there. The cooling andwarming has two
effects. First, the rates of many heterogeneous chem-
ical reactions (those occurring on or within particles)
increase with decreasing temperature. Heterogeneous
reactions occurring on stratospheric aerosols and PSC
particles convert relatively inert halogen-containing
inorganic species such as ClONO2 and HCl into
reactive species such as Cl2 that can participate in
ozone-destroying catalytic cycles. Increasing the rates
of these reactions, even locally inmountainwaves, can
lead to a general increase in the abundance of reactive
chlorine gases in the polar stratosphere. The second,
and related, effect is that the mountain-wave-induced
cooling can lead to the formation of localized ice
clouds, which have greatly increased surface area on

which heterogeneous reactions can occur (see above).
The mesoscale temperature perturbations can be
thought of as a flow reactor in which air flows
constantly through a region of enhanced chemical
reactivity, leading to a conversion of chlorine species
from one side of the wave to the other.

The principal chemical reaction that can be affected
by localized cooling and cloud formation is

ClONO2 þHCl ! Cl2 þHNO3 ½I�

This reaction converts the two chlorine reservoir
species into chlorine gas, which is readily photolyzed,
thus allowing it to take part in ozone-destroying
catalytic cycles. Figure 5 shows how the rate of
this reaction and the lifetime of the reactants change
with temperature. Reducing the temperature
from around 195K to 190K leads to a factor 100
increase in the rate, thus reducing the lifetime of the
reactants from a few days to less than 1 hour. So,
althoughmesoscale temperature perturbationsmay be
localized, the time spent by the air in the cold part of
the wave can be sufficient to cause a significant
conversion of the reactants to reactive chlorine. The
nonlinear increase in the reaction rate also explains
why the increase in the reaction rate in the low-
temperature phase of a mountain wave will not be
cancelled out by the decrease in the rate in the warm
phase.

The effect of the increased rate of heterogeneous
reactions can be seen in Figure 4D, which shows the
results of a model simulation of chemistry in a
mountain wave over the Scandinavian mountains.
The conversion of the reservoir gases ClONO2 and
HCl into Cl2 gas is apparent in the liquid aerosol part
of the cloud, but most of all in the ice cloud. The air
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issuing from this quasi-stationary mountain wave will
persist for some time as a thin streamer with elevated
reactive chlorine concentrations before being mixed
in. Many such events therefore have the potential to
elevate the average reactive chlorine concentration in
the stratospheric polar vortex.

The effect of mountain wave cooling and formation
of associated PSCs is well documented.However, their
direct effect on stratospheric chemistry has not been
detected. This is due to the difficulty of positioning
measuring instruments in the outflow regions of such
wave clouds and the problems of detecting small
changes in reactive chlorine concentrations against a
background of variability caused by other processes.
However, accepting our current knowledge of hetero-
geneous chemistry to be correct, it seems inevitable
that the greatly increased particle surface areas and
reduced temperatures in waves clouds will have at
least a local effect.

Large-scale Effects

Individual mountain waves can cause the conversion
of chlorine species to reactive forms.However, it is less
easy to determine whether the accumulated effect of
many such waves is important for stratospheric
chemistry. Themain problem in assessing the potential
effect is in estimating the rate at which air is processed
through waves, which depends on how often large-
amplitude waves form, how large they are, how long
they last, and how cold they are. Certainly there are
limited observations suggesting that models some-
times underestimate the abundance of reactive chlor-
ine in the polar stratosphere, but this could have many
explanations.

The rate at which air is processed throughmountain
waves has been estimated by simulating the trajector-
ies of a large number of Arctic air parcels in the polar
vortex, with the trajectory temperatures perturbed by
mountain waves simulated using a model. The results
of such a study using a simple hydrostatic mountain
wave forecast model suggest that an individual air
parcel will encounter a mountain wave of amplitude
10K or more every 20 days, while a 5K amplitude
wave will be encountered every 3 days or so. The
influence of these waves on chlorine activation and
PSC formation depends also on the prevailing tem-
peratures. For the winter 1994–95, these calculations
suggest that the ice frost point should be reached once
every 17 days. Given the relatively slow reconversion

of the chlorine species back to the reservoir gases, such
a processing rate ought to be sufficient to increase
the average amount of reactive chlorine in the
Arctic polar vortex. However, the relatively simple
hydrostatic wave model will often overestimate
the amplitude of the waves that propagate into
the stratosphere, although it may underestimate their
spatial extent.

In summary, it is likely that mountain waves
increase the net amount of reactive chlorine in the
Arctic polar vortex, which may be important under
conditions where synoptic-scale PSC activity is
marginal.

Nomenclature

T temperature in kelvin
g acceleration due to gravity
cp heat capacity of dry air at constant pressure

(units: J K�1 kg�1)
z distance
PSC polar stratospheric cloud

See also

Clouds: Classification. Downslope Winds. Lee Waves
and Mountain Waves. Lidar: Backscatter. Middle
Atmosphere: Gravity Waves; Polar Vortex. Noctilucent
Clouds. Orographic Effects: Mountain Waves and
Stratospheric Chemistry. Ozone: Ozone Depletion.
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Introduction

Asa consequence of absorptionby atmospheric ozone,
little solar radiation reaches the Earth’s surface at
wavelengths shorter than 300 nm in the ultraviolet.
The absorption cross-section of ozone describes the
interaction of radiation with the molecule and spec-
ifies the efficiency of absorption as a function of
wavelength. Laboratory measurements are able to
determine the magnitude of the cross-section, and
these empirical values are the inputs to radiative
transfer models that compute the transmission of the
atmosphere. As wavelength increases from 295 nm to
330 nm, absorption by ozone weakens markedly, and
the atmosphere becomes increasingly transparent.
Temporal variations in solar ultraviolet irradiance at
the Earth’s surface arise from the combined effects of
changing solar elevation, variability in cloud cover, the
abundance of particulates, and changes in the atmos-
pheric ozone amount.

The Sun radiates energy over a broad range of the
electromagnetic spectrum, and the human eye re-
sponds only to the portion of this emission that lies at
visible wavelengths from 400 to 700 nm. Progressing
from long wavelengths to short, one proceeds through
visible light from red to violet. The ultraviolet portion
of the spectrum begins where the visible ends, at
400 nm, and extends to shorter wavelengths. In the
late nineteenth century, scientists believed that the Sun
emitted radiation in the ultraviolet, although these

wavelengths can not be detected visually. Measure-
ments by optical instruments designed to respond to
the ultraviolet revealed the expected levels of sunlight
reaching the ground at wavelengths just short of the
visible, from approximately 315 to 400 nm, a spectral
region called the UV-A. However, at still shorter
wavelengths the instruments observed an extremely
steep decline in energy. This spectral region, which is
marked by a precipitous drop in energy as wavelength
decreases, is known as the UV-B. In standard usage the
UV-B encompasses wavelengths from 280 to 315 nm,
although for practical purposes, no solar energy
reaches the Earth’s surface at wavelengths shorter
than about 295 nm.

Figure 1 illustrates the behavior of ground-level
solar ultraviolet spectral irradiance, defined as the
energy that strikes one squaremeter of horizontal area
per second per nanometer of wavelength. Appropriate
units are watts m�2 nm�1. These results come from a
numerical model that treats the absorption and
scattering of sunlight as a function of wavelength as
the solar beam passes through the atmosphere. The
values in Figure 1 refer to a latitude of 401N in mid-
July at noon under clear skies. The solar irradiance at
the ground decreases by approximately a factor of
1000 as wavelength declines through the UV-B from
315 nm to 295 nm. The wavelength-dependent struc-
ture apparent throughout the UV-A exists in the solar
irradiance incident at the top of the atmosphere.
Spectrometers carried on satellites can now monitor
this incoming solar radiation on a daily basis.

The falloff in UV-B irradiance displayed in Figure 1
presented a dilemma for the first scientists who
observed this behavior. The steep drop toward short
wavelengths is not consistent with the spectrum of
radiation emitted by hot objects in the laboratory.
Visible radiation received from the Sun suggested an
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object whose absolute temperature was in the vicinity
of 5700–5800K, but a radiator at this temperature
should have a much larger emission in the UV-B than
was present in sunlight at the Earth’s surface. The
resolution of this problem is that the Sun does indeed
emit energy in the UV-B part of the spectrum, but
somewhere between the Sun and the surface of the
Earth much of this energy is being absorbed.

In 1881 the English chemist William Hartley creat-
ed ozone in the laboratory by running electric sparks
through a container of dry air. He then observed that
ozone, a molecule composed of three oxygen atoms
and represented by the chemical symbol O3, formed

naturally in this experiment. Furthermore, the ozone
absorbed radiation at the those UV-B wavelengths
emitted by a laboratory lamp that were absent in the
spectrum of sunlight at the Earth’s surface. Both the
spontaneous formation of ozone in laboratory air and
the strong absorption of artificially produced UV-B
light provided good evidence that the sharp cutoff of
sunlight in Figure 1 arose from ozone present in the
Earth’s atmosphere. Subsequent studies in the early
twentieth century demonstrated that most of the
Earth’s ozone lies in the stratosphere, the region of
the atmosphere at altitudes from 10 to 50 km above
the ground.

Molecular-scale Interactions

The depletion of solar UV-B light is a manifestation of
processes that occur on the molecular scale. One can
adopt a simple model of the ozone molecule in which
three balls are held together by two rods, as depicted in
Figure 2. The balls represent oxygen atoms and the
rods mimic attractive forces that arise from a sharing
of electrons among the atoms. The atoms form a
triangle in which the angle between the bonds is 1171,
and the length of each bond is 0.126 nm. Ultraviolet
sunlight interacts with an ozone molecule by breaking
one of the bonds in Figure 2. This process, called
photodissociation, leads to the destruction of one
ozone molecule and the creation of a diatomic oxygen
molecule, O2, and a free oxygen atom, O.

To describe a photodissociation, it is convenient to
view a beam of sunlight as if it consists of a stream of
massless particles called photons: the energy of one
photon is hn, as shown in Figure 2, where n is the
frequency of the light and h is the Planck constant.
Alternatively, the energy of a photon is inversely
proportional to the wavelength of the light. To
dissociate an ozone molecule, a photon must have an
energy greater than a specific minimum amount, the
binding energy ozone, which is determined by the
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Figure 1 Ultraviolet solar irradiance at ground level. The values,
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solar noon in mid-July for clear skies.

O3 + h� O2 + O

h�

Figure2 Schematic representation of the photodissociation of an ozonemolecule. hn denotes one photon of radiationwith an energy in
excess of the binding energy of the bond.
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strength of themolecular bond to be broken. There is a
one-to-one correspondence between photons ab-
sorbed and molecules; that is, one photon is absorbed
by onemolecule of ozone. In the process, the photon is
annihilated, and its energy is expended in breaking one
of the bonds in the ozone molecule. The binding
energy of the molecule corresponds to the maximum
wavelength of light that is capable of causing photo-
dissociation, called the dissociationwavelength. In the
case of ozone, this dissociation wavelength lies in the
infrared part of the spectrum. Any photon whose
energy exceeds the binding energy can break ozone
into O2 and O. In practice, the photodissociation of
ozone becomes efficient only for photons that are
muchmore energetic than the binding energy and that
correspond to light in the ultraviolet part of the
electromagnetic spectrum.

The absorption of ultraviolet light by ozone can be
described quantitatively by reference to the situation
depicted inFigure 3.Here a beamof light is incident on
a layer of ozone at an angle y to the vertical. Let L0ðlÞ
be the magnitude of the incident radiance at wave-
length l and LTðlÞ be the transmitted radiance that
survives to exit from the bottom of the slab. Radiance
has a directional character, whereas irradiance, as in
Figure 1, includes energy flowing downward from all
locations in the sky. The layer contains ozone in the
amount noz molecules cm�3, and the thickness of the
slab is Dz in cm. The relationship between the
transmitted and incident radiance is given by Beer’s
law (eqn [1]).

LT lð Þ ¼ L0 lð Þ exp �s lð ÞnozDz= cos y½ � ½1�
The quantity nozDz= cos y measures the number of
ozone molecules per unit area measured along the

slant path taken by the beam of light though the layer.
Equation [1] serves to define the absorption cross-
section of ozone, sðlÞ, whose units are area, typically
cm2. The cross-section describes the strength of
absorption per ozonemolecule. If ln is the dissociation
wavelength, then sðlÞ ¼ 0 for all l > ln, and at these
wavelengths a beam of light is unaltered in passing
through a layer of ozone. For loln the degree of
attenuation depends on the magnitude of the absorp-
tion cross-section, which varies dramatically with
wavelength.

In principle, it is possible to compute the absorption
cross-section given a complete knowledge of the
molecular structure of ozone, although in practice
this is not feasible. Instead, applications in atmospher-
ic science make use of absorption cross-sections
determined in the laboratory. Here an artificial mon-
ochromatic light source illuminates a laboratory
chamber that contains a known concentration of
ozone. Then from measurements of the radiation
incident on and transmitted through the chamber, eqn
[1] allows deduction of the cross-section at the
wavelength of incident light. By varying the wave-
length, one can infer values of the absorption cross-
section over the entire ultraviolet spectral region of
interest to atmospheric science.

Figure 4 depicts the ozone absorption cross-section
measured over the wavelength range 200–340nm,
encompassing the UV-C, defined as wavelengths less
than 280 nm, the UV-B, and the shortest wavelengths
of the UV-A. The cross-section in the 315–340 nm
portion of the UV-A is very small compared to that in
the UV-B. At still longer wavelengths the attenuation
provided by ozone is negligible, although photolysis is

�

�
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Figure 3 Absorption experienced by a beam of ultraviolet light in

passing through a layer of ozone.
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energetically possible throughout the remainder of the
ultraviolet and visible portions of the spectrum. The
shorter wavelengths shown in Figure 1, 280–340 nm,
overlap the longer wavelengths in Figure 4. A com-
parison of the two figures shows that the steep increase
in ultraviolet irradiance with wavelength over this
spectral range coincides with, and is a consequence of,
the dramatic decrease in the absorption cross-section
of ozone as wavelength increases.

Figure 4 shows a peak in the absorption cross-
section of ozone near 250 nm, with a sharp decline
toward both longer and shorter wavelengths. On the
basis only of this behavior, one would expect to
observe sunlight reaching the Earth’s surface near
200–210 nm, since the cross section at these wave-
lengths is close to that at 300 nm. In fact, no solar
radiation survives passage through the atmosphere at
200–210 nm because at wavelengths shorter than
240 nmmolecular oxygen begins to absorb. Although
the absorption cross-section of O2, also shown in
Figure 4, is extremely small, a factor of one hundred
thousand to one million less than that for ozone (see
the right-hand scale forO2), the atmosphere contains a
very large amount of O2. The consequence of the
combined absorption by O2 and O3 is that all of the
incoming sunlight over the entire UV-C is removed at
altitudes far above the ground. The absorption by O2

become stronger as wavelength decreases below
200 nm, and at much shorter wavelengths absorption
bymolecular nitrogen and free oxygen atomsoccurs as
well. These processes ensure that the surface of the
Earth is totally shielded from the highest-energy
photons in the solar spectrum.

Radiative Transfer

The transfer of ultraviolet sunlight through the
atmosphere is more complicated than depicted in
Figure 3 because absorption by ozone is not the only
process that modifies the incoming solar beam. In
passing through an atmospheric layer, the incident
light is both partially absorbed and also scattered.
Scattering refers to a change in direction of propaga-
tion, with no change in the amount of energy
contained in the radiation field. Most atmospheric
molecular scattering is by the major gases, N2 andO2,
which are vastly more abundant than ozone. In
addition, the atmosphere contains suspended small
particles, especially in the lowest several kilometers of
altitude, and these scatter radiation very efficiently.

At the top of the atmosphere, solar radiation is
incident as a direct beam coming from one specific
direction in space. As this beam propagates down-
ward, it is attenuated by absorption to an extent
determined by the cross-section of ozone at the

wavelength considered, by the abundance of ozone
molecules, and by scattering. But rather than destroy-
ing radiant energy, scattering redirects the sunlight
into all possible angles over the upper and lower
hemispheres. The field of radiative transfer develops
the concepts and mathematical methods needed to
compute the attenuated direct solar radiation and the
scattered radiation moving in any direction at each
altitude throughout the atmosphere as well as at the
ground.

Scattering of radiation by molecules is called Ray-
leigh scattering, after Lord Rayleigh who first studied
the process in detail. The attenuation of a direct beam
of sunlight by Rayleigh scattering is described by an
equation analogous to Beer’s law (eqn [1]) with the
cross-section for scattering being inversely propor-
tional to wavelength raised to the fourth power (1=l4)
and the appropriate number density being the total
number of atmospheric molecules per cm3 in the layer.
Rayleigh scattering explains the blue color of the sky
on a clear day, since the shortest visiblewavelengths, in
the blue and violet, are scattered more efficiently than
are longer wavelengths, yellow or red. However, the
strong inverse wavelength dependence of the Rayleigh
scattering cross section implies that ultraviolet radia-
tion is scattered even more efficiently than is visible
light. As a consequence, on a clear day much of the
ultraviolet sunlight received at the ground comes in the
form of scattered radiation from the entire upper
hemisphere as opposed to being concentrated in the
direct beam from the sun. Scattering by particles and
liquid droplets acts in a way similar to that by
molecules except that the wavelength dependence is
much weaker than in the Rayleigh case. When
particles and droplets are abundant, the sky takes on
a whitish color, an indication that all wavelengths in
sunlight are being scattered.

Atmospheric scattering alters the amount of solar
ultraviolet energy absorbed by ozone. This can be
deduced from Figure 3 and eqn [1]. The attenuation of
a beam of light depends on the ozone content of the
layer in Figure 3 and on the angle y at which the
radiation is incident. In the absence of scattering, all of
the energy flow would be concentrated at the single
angle y. With scattering, however, radiation impinges
on a layer from all directions. From eqn [1], the
attenuation from absorption by ozone is different for
each value of y. As a result, estimates of the solar
ultraviolet spectral irradiance at the Earth’s surface
must treat the coupled influence of absorption and
scattering at all altitudes throughout the atmosphere.

Although models that treat the transfer of ultra-
violet sunlight must include the complications identi-
fied above, eqn [1] none the less highlights the major
variables that determine the solar irradiance at the
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Earth’s surface. When applied to the atmosphere, y in
Figure 3 is the solar zenith angle, defined as the angle
between the instantaneous position of the Sun and the
local vertical. As the Earth rotates, the solar zenith
angle at any location varies from 901 at sunrise to a
minimum value at mid-day, called solar noon, and
back to 901 at sunset. The apparent motion of the Sun
relative to a fixed point on Earth is accompanied by a
changing path length taken by solar radiation through
the atmosphere’s ozone layer. The minimum path
length and maximum UV-B irradiance at the ground
occur at solar noon. The increasing solar zenith angle
before and after solar noon implies increasing absorp-
tion by ozone and decreasing UV-B irradiance. In
addition to the changing magnitude of absorption,
geometrical considerations are significant. Specifical-
ly, a fixed amount of solar energy gets spread over a
larger horizontal area at the Earth’s surface as the
angle of incidence, y, increases, leading to a decline in
the energy received per unit area irrespective of
absorption by ozone.

The dependence of solar zenith angle on latitude,
season, and local time leads to a large variability in
solar ultraviolet irradiance at the ground. Figure 5
illustrates the behavior of irradiance at several wave-

lengths as functions of solar time during an afternoon,
where 12:00 denotes the time ofminimum solar zenith
angle. The irradiance at all wavelengths declines
rapidly as the sun gets closer to the horizon. At
340 nm, the irradiance is almost independent of the
ozone amount, and the value at noon exceeds that at
17:00 by a factor of 3. This variation arises from
increased atmospheric backscattering as afternoon
progresses as well as the geometrical effect noted
above. As wavelength decreases, absorption by at-
mospheric ozone becomes important and leads to a
more pronounced dependence of irradiance on solar
zenith angle. At awavelength of 305 nm, the noontime
irradiance exceeds that at 17:00 by a factor of 21, and
at 300 nm this factor increases to 140.

Changes in Atmospheric Ozone
Amounts and Ultraviolet Radiation

Concerns over depletion of the ozone layer arose in the
1970s, when scientists realized that chemicals released
by various anthropogenic activities could lead to a
slowdecline in ozone amounts in the stratosphere. The
importance of this depletion arises fromozone’s role as
an absorber of biologically damaging ultraviolet
sunlight. Exposure to radiation in the UV-B, and to a
lesser extent in the UV-A, is responsible for a variety of
negative effects, including certain types of skin can-
cers, cataracts, and inhibition of plant development.
Equation [1] indicates that a decline in the number of
ozonemolecules in a column of the atmosphere would
be accompanied by an increase in solar ultraviolet
irradiance reaching the Earth’s surface. Over a period
of years to decades, onewould expect such a change to
result in an increase in the incidence of the biological
effects identified above. The relationship between
ultraviolet radiation exposure and a specific biological
response can be exceedingly complex and is often
poorly understood on a quantitative basis. However,
the increase in ground-level ultraviolet irradiance
associatedwith a known change in atmospheric ozone
content is straightforward to predict.

Figure 6 presents the percentage change in ultravi-
olet irradiance reaching the ground for 110% and
� 10% changes in the column ozone amount, where
the unperturbed reference state is for 401N latitude at
noon in mid-July as shown in Figure 1. The wave-
length scale extends from 290 nm, where negligible
radiation survives passage through the atmosphere, to
340 nm, where absorption by ozone is extremely
weak. As wavelength decreases, the percentage sensi-
tivity to changes in the ozone amount increases
rapidly. This type of behavior is qualitatively
consistent with eqn [1] combined with the
wavelength dependence of the absorption cross-
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Figure 5 Variation of solar ultraviolet irradiance at various

wavelengths with solar time during an afternoon for latitude 401N
in July under clear skies.
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section, although realistic results must include the
effects of scattering.

At the short-wavelength end of the UV-A, near
315 nm, a plus or minus 10% change in column ozone
leads to a 5% change in irradiance or less, where the
sign of the change in irradiance is opposite to that in
ozone. The sensitivity to changes in ozone weakens
with increasing wavelength, and at wavelengths in the
UV-A longer than 330 nm, one can safely neglect
absorption. As wavelength decreases from 315 nm
through the UV-B, the sensitivity to changes in ozone
rises dramatically. For noontime summer conditions, a
10% change in column ozone is accompanied by a
10% change in irradiance of the opposite sign at a
wavelength of 308–309 nm. This increases to a dou-
bling or halving near 295 nm, the shortestwavelengths
that are readily measurable at the ground.

The largest percentage changes in Figure 6 occur at
wavelengths where the absolute irradiances that reach
the ground are quite small, and this is a direct
consequence of the wavelength-dependent behavior
of the ozone absorption cross-section. One might
question whether the extremely small irradiances in
the UV-B are significant in view of the much larger
values in theUV-A.Numerous laboratory studies have
confirmed the biological importance of UV-B radia-
tion at the levels that exist in the natural environment.
These investigations consistently show that the short-
er-wavelength UV-B sunlight is more effective in
causing damage to living tissues than are longer

wavelengths in the UV-A, although radiation through-
out both regions must be considered. When one
combines wavelength-dependent biological sensitivi-
ties with the spectral variation of solar irradiance at
the ground, the UV-B is generally the most effective
region in causing biological damage, despite the small
absolute energy levels involved. Hence, the possibility
of a major change in the ozone content of the
Earth’s atmosphere and the accompanying increase
in ground-level UV-B radiation was a legitimate cause
for taking action designed to minimize such an
occurrence.

Although concerns over depletion of the ozone layer
have diminished in recent years, ultraviolet solar
radiation remains an important part of the natural
environment. The chemistry of the lower atmosphere
is driven by the UV-B radiation that survives passage
through the stratospheric ozone layer. In this way,
ozone’s role as an absorber of solar ultraviolet radi-
ation influences the chemical make-up of the air that
surrounds us. In addition, the negative biological
effects of exposure to the natural background of
ultraviolet sunlight will continue to occur, although
hopefully not with increasing frequency.

See also

Aerosols: Role in Radiative Transfer. Global Change:
Ozone Trends. Ozone: Ozone Depletion; Photochemi-
stry of Ozone. Satellite Remote Sensing: TOMS
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Introduction

The stratospheric ozone distribution is controlled in
part by catalytic cycles involving radical species (the
‘catalysts’) which are present in much lower concen-
trations than ozone. It was realized in the 1970s that
were the concentrations of the catalysts to increase
then stratospheric ozone concentrations would de-
crease – ozone would be depleted. Starting in the early
1970s, a number of possible threats to the strato-
spheric ozone layer were suggested, including increas-
es in aviation emissions and the growth in the
atmospheric abundance of industrial chlorine com-
pounds. It was not until the mid-1980s that observa-
tional evidence for ozone depletion was actually
obtained, and understanding has advanced rapidly
since then. This article discusses the scientific issues
surrounding ozone depletion, emphasizing the impor-
tant role played by halogen (chlorine and bromine)
compounds.

Background

Stratospheric ozone is important for a number of
reasons. It absorbs potentially harmful ultraviolet
radiation, protecting living organisms at the Earth’s
surface. It is also a radiatively active gas, influencing
the radiative heat budget in both the ultraviolet and
the infrared, and playing an important role in climate.
Any change in stratospheric ozone could therefore
have important consequences.

The distribution of ozone depends on a balance
between transport, from its low-latitude sources to
sinks at higher latitudes, and chemistry. Ozone is
produced in the stratosphere when molecular oxygen

is photolyzed by solar UV at wavelengths below
242 nm; it is destroyed in a series of catalytic cycles
involving radical species typically present at concen-
trations less than a thousandth of the ozone
concentration. The catalytic reactions are usually of
the form:

XþO3 ! XOþO2 ½I�

XOþO ! XþO2

Net: OþO3 ! O2 þO2

½II�

Important radicals (i.e., the X and XO in reactions [I]
and [II]), include members of the hydrogen, nitrogen,
chlorine, and bromine families.

Ignoring transport, the rate of change of ozone can
be written schematically as

d½O3�=dt ¼ 2J1½O2� � 2ka½O�½O3�
� 2kb½NO2�½O� � 2kc½HO2�½O�
� 2kd½ClO�½O� � 2ke½BrO�½O� � etc:

½1�
J represents a photodissociation rate and the ks are
rate constants for individual reactions. Equation [1]
includes a number of themore important cycles; others
are ignored. Formally, the equation should be written
in terms of ‘odd oxygen’, O1O3, but note that this
makes little difference in the stratosphere where the
concentration of O is much less than that of O3.

The key point about the catalytic cycles is that
radical species, e.g., NO and NO2, act as catalysts in
that their concentration is unaffected by the ozone
destruction cycle, reactions [I] and [II], allowing the
cycle to repeat many times. The cycle is terminated
only when the radicals are converted to reservoir
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species (in the case of NO and NO2, reservoirs would
include HNO3). This means that despite having
concentrations much less than that of ozone, the
radicals can have an enormous influence on the ozone
distribution. Thus, the cycle involvingNO andNO2 is
effective in removing about 50% of the ozone lost in
the stratosphere. An important corollary was realized
in the late 1960s and early 1970s. If the concentrations
of the radical species were to increase, the balance of
ozone production and destruction in eqn [1] would be
shifted towards lower ozone: stratospheric ozone
would be depleted.Harold Johnston and Paul Crutzen
both pointed out that the oxides of nitrogen, produced
in aircraft engine exhaust, could lead to significant
reduction in the thickness of the stratospheric ozone
layer. Supersonic aircraft could be especially destruc-
tive since they mainly emit directly into the strato-
sphere, whose stability against rapid vertical motion
can lead to a longer effective lifetime for the emissions.
In the event, only small numbers of passenger super-
sonic aircraft were constructed in the 1970s, thus
posing little threat to the stratosphere, but, as we
shall see later, the continued growth of aviation has
recently led to its possible environmental impact being
reassessed.

Another concern, highlighted in a classic paper in
Nature in 1974 by Mario Molina and Sherry Row-
land, arose from the large rise in production and
emissions of chlorofluorocarbons. These compounds
had wide-ranging applications, including use in aero-
sol spray cans, refrigeration units, foam blowing, and
circuit-board cleaning. The compounds, usually forms
of methane with all the hydrogen atoms replaced by
fluorine and chlorine, are inert in the troposphere and
nontoxic, so were particularly useful products. How-
ever, Molina and Rowland (1974) pointed out that
they could rise to sufficient heights in the stratosphere
where they would be destroyed by solar ultraviolet
radiation, or reaction with electronically excited
oxygen atoms, to liberate their chlorine atoms:

CF2Cl2 þ hnOþ 1D ! 2Cl

CFCL3 þ hnOþ 1D ! 3Cl

This chlorine, once released into the stratosphere,
can then take part in ozone destruction cycles. Notice
that both these molecules carry more than one Cl to
the stratosphere. The time to reach the sufficiently
high altitudes for destruction to occur leads to very
long lifetimes, between 50 and 100 years for these
compounds.

In Molina and Rowland’s paper, the largest per-
centage ozone depletion was predicted to occur at
about 40 km. This is the altitude at which the Cl

and ClO, the active radicals which destroy odd
oxygen, form the highest percentage of the chlorine
released from the CFCs. At lower altitudes, chlorine
reservoir species, such as HCl and ClONO2, are
expected to be the dominant forms of atmospheric
chlorine.

The idea that chlorine from the CFCs could deplete
stratospheric ozone attracted enormous interest. The
following 10 years saw a considerable amount of
research: in laboratory measurements of the relevant
reactions, in atmospheric measurements of the impor-
tant species, and in efforts to model these processes on
a computer so as to predict the evolution of the ozone
layer. As understanding of the most important reac-
tions developed, predictions about the possible strato-
spheric loss ranged from about 5% to nearly 20%,
reflecting the scientific uncertainty. Regulation pro-
scribing certain uses for the CFCswas enacted in some
countries.However, therewas littlemajor coordinated
regulatory action until firm evidence became available
that depletion really was occurring.

Observations of Ozone Loss:
Polar Loss

The first evidence for ozone loss came as a major
surprise to the scientific community.While the models
had predicted largest losses in the upper stratosphere,
driven by gas phase catalytic cycles involving Cl and
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observed at theBritish Antarctic Survey base at Halley Bay (761S).
The updated record now typically shows values around 100DU.
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ClO, the depletion was first detected in the Antarctic
lower stratosphere and in the late winter and early
spring, when photolysis rates, and chemical reactivity,
should be relatively low. The first measurements to
show ozone decline were reported by Joe Farman,
Brian Gardiner, and Jonathan Shanklin, scientists
from the British Antarctic Survey, in a letter toNature

in 1985. They showed October mean values of total
ozone from their Halley Bay station beginning in the
International Geophysical Year in 1957. Figure 1
shows an updated version of their figure. The data
showed a rapid decline in total ozone from the middle
1970s. Typical values in the early years were around
300 Dobson units (DU); since the mid-1990s values
have been around 100 DU. Ozone sonde data, also
fromHalley Bay, then showed that the loss wasmainly
confined to the very low stratosphere, between about
12 and 20 km (Figure 2). The loss occurred rapidly;
effectively all the ozone in that part of the atmosphere
was removed during a 6-week period (Figure 3).

These results were quite unexpected. At these
altitudes, chlorine was expected to be in its reservoir
forms, HCl and ClONO2, with the radicals at low
concentration. Furthermore, in the springtime high-
latitude lower stratosphere, the concentration of
atomic oxygen, the other essential ingredient in the
catalytic cycle, reactions [I] and [II], should be very
low. What was the mechanism for depletion? The
dilemma was resolved by a combination of field
measurements and laboratory studies.

First, measurements from the NASA ER-2 high-
altitude research aircraft showed that in the spring-
time Antarctic lower stratosphere the levels of ClO
were indeed much higher than had been expected,
more than 1 ppbv, so that a large fraction of the
chlorine available following the breakdown of the
CFCs was in ‘active’ form (i.e., a form capable of
destroying ozone). Those same measurements, made
throughout the spring period, showed a remarkable
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anticorrelation with ozone (Figure 4): the ‘smoking
gun’ which confirmed that the ozone loss was indeed
driven by reactions involving chlorine compounds.
The majority of stratospheric chlorine comes from
anthropogenic emissions. Only about 0.6 ppbv of the
more than 3 ppbv of chlorine in the stratosphere is of
natural origin, from the CH3Cl emitted by the oceans.
This emphatic scientific evidence, that ozone was
indeed being destroyed by chlorine compounds which
are mainly of anthropogenic origin, played a major
role in developing the consensus that these chlorine
compounds should be regulated, thus leading to the
Montreal Protocol.

But why were the concentrations of ClO so high,
and why did the depletion occur in the Antarctic

during spring?The clue lies in theparticularlymeteoro-
logical conditions which obtain in Antarctica.
The winter polar vortex, a strong westerly circula-
tion around a low-pressure, low-temperature region
(Figure 5), is particularly strong in Antarctica. Tem-
peratures in the Antarctic vortex fall routinely below
190K and the vortex is isolated frommiddle latitudes.
At these low temperatures (below about 195K), and
despite the very low water vapor concentrations,
clouds can form. These are the polar stratospheric
clouds (PSCs) composed of mixtures of nitric acid and
water (pure ice clouds form at below 188K). It was
realized that the cloud particles could act as surface
sites for reactions, which in the gas phase are vanish-
ingly slow, to convert chlorine rapidly from its
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Figure 4 Schematic of observations of ClO and O3 made on board the NASA ER-2 at about 18 km in high southern latitudes. Note the

large increase in the concentration of ClO when the aircraft enters the ‘chemically perturbed region’ (the region whose chemistry is

influencedby very low temperatures, leading toPSC formation). Note also thedramatic decrease inO3,whichoccursbetween lateAugust

and mid-September in the region of high ClO. (Based on measurements of ClO by J. G. Anderson and colleagues and of ozone by
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reservoir to its active forms. The most important
reaction is

HClðsÞ þ ClONO2ðgÞ !ðPSCÞCl2ðgÞ þHNO3ðsÞ ½III�
where (s) and (g) denote solid (note that PSCs
could infact be either liquid or solid) and gas
phases. The nitric acid remains in the solid phase
but the Cl2 is released into the gas phase where
it is easily photolyzed to liberate chlorine atoms and
hence ClO.

ClO reacts with NO2 to form the reservoir species
ClONO2. This reaction could then return active
chlorine to its reservoir. However, the removal in
reaction [III] of nitric acid into the solid phase also

effectively reduces the concentration of NOx (NO and
NO2), a process called denoxification, leading to a
longer lifetime for the active chlorine. Indeed, in the
Antarctic the very low temperatures usually lead
eventually to the growth of large particles being
predominantly composed of ice, but incorporating
HNO3. These particles can grow so large that they
eventually fall out of the lower stratosphere, reducing
irreversibly the concentrations of the nitrogen species
(‘denitrification’).

The problem still remained that, with atomic
oxygen concentrations so low in that part of the
atmosphere, the catalytic cycle involving reactions [I]
and [II] could not removeozone as rapidly as observed.
It is now known that the following catalytic cycle,
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winds in
mid_low

stratosphere
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Disturbed
flow in
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Figure 5 A schematic of the Antarctic vortex which forms during the winter months. Winds in the lower stratosphere at the vortex edge

reach speeds of around 100ms�1. PSCs form in the cold core of the vortex. Air within the vortex is largely isolated frommiddle latitudes.

The vortex begins to warm in September (althoughmassive ozone depletion now delays this warming) and usually breaks down finally in

November or December.
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involving the dimer of chlorine monoxide, Cl2O2,
dominates the Antarctic ozone loss:

ClOþ ClOþM ! Cl2O2 þM ½IV�

Cl2O2 þM ! ClOþ ClOþM ½V�

Cl2O2 þ hn ! Clþ ClO2 ½VI�

ClO2 þM ! ClþO2 þM ½VII�

2fClþO3 ! ClOþO2g ½VIII�
When reaction [IV] is followed by reaction [V] (i.e.,
thermal decomposition of the dimer is rapid) then no
ozone loss occurs. However, when the dimer is
stabilized at low temperatures, typical of the Antarctic
lower stratosphere (i.e.,when the rate of reaction [V] is
low), then the dimer is lost predominantly by photol-
ysis, leading eventually to the formation of two
chlorine atoms which destroy ozone in reaction
[VIII]. The net effect of this catalytic cycle is then

Net: 2O3 ! 3O2

Laboratory data have established that this cycle is
sufficiently rapid to explain much of the observed
ozone loss. In fact a second cycle is also important:

ClOþ BrO ! Clþ BrþO2

ClþO3 ! ClOþO2

BrþO3 ! BrOþO2

Net : 2O3 ! 3O2

Inclusion of these two cycles into numerical models
is sufficient to explain broadly the observed rate of
decline of ozone in the Antarctic spring. In Antarctica,
the dimer cycle is responsible formore than50%of the
observed loss.

Rapid depletion in the Antarctic occurs every year
and is now of roughly the same magnitude each year.
Column amounts around 100DU are the springtime
norm. Variability from year to year seemsmainly to be
driven by meteorological variability, in the strength,
lateral extent, and coldness of the vortex. The situa-
tion is different in theArcticwhere temperatures in the
vortex are typically 10K warmer than in the south.
PSCs occur less frequently than in the south, and
sustained temperatures low enough for the formation
of large ice particles, which subsequently fall leading
to dentrification, are quite rare. Nevertheless, temper-
atures can fall below the threshold for PSC formation,
leading to activation of chlorine. Indeed, the concen-

trations of ClO, the radical species responsible for
ozone depletion, can be as high in the Arctic as in the
Antarctic (see Observations for Chemistry (Remote
Sensing): Microwave). Perhaps the more important
difference between the hemispheres is the fact that,
with usually little or no denitrification in the north,
chlorine reverts to reservoir forms more quickly there
once temperatures have risen above the PSC threshold.
Nevertheless, large ozone depletion in the north has
been reported in several coldwinters during the 1990s.
Typical depletions reported were up to 35% in the
column, compared with the long-term mean, and
larger local depletions in the lower stratosphere. In
1999/2000, a very cold Arctic winter, depletion
approaching 70% was reported at around 20 km
(Figure 6).

The dimer cycle is favored by low temperatures and
hence is less efficient in the warmer Arctic (another
reason, beside the incidence of PSCs and the occur-
rence of denitrification, why depletion is larger in the
south). In this case the ClO–BrO cycle is relatively
more effective andmay be slightly themore important
cycle.

It is nowwell established that polar ozone depletion
depends on chlorine compounds being activated at
low temperatures which, along with bromine com-
pounds, leads to rapid ozone decline in sunlight. The
halogens are now controlled substances under the
Montreal Protocol and the concentration of many of
these species is beginning to decline. This is expected to
lead to a recovery of the ozone layer. However,
stratospheric temperatures have dropped in recent
years, almost certainly in response to changing con-
centrations of greenhouse gases. This leads to an
enhancement of the conditions likely to lead to polar
ozone loss. Evidently, recovery of the ozone layer does
not just depend on a reduction in the abundance of
stratospheric halogens; other factors are also very
important. It seems unlikely that recovery, inwhatever
forms it takes, will be to a similar atmospheric state as
existed before the 1970s. Recovery is discussed else-
where in this encyclopedia (see Stratospheric Ozone
Recovery).

Observations of Ozone Loss:
Middle Latitudes

The springtime ozone loss in polar latitudes which has
developed since the 1970s is dramatic, well docu-
mented, and now reasonably well understood, as
discussed above. In addition there has been a down-
ward trend in ozone in middle latitudes, detected by
both satellite and ground-based observation, so that
annual average amounts in northern middle latitudes
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(251–601N) in the late 1990s were about 4% below
the values in 1979. In winter/spring, the correspon-
ding decline was about 5.5%. The decline is smaller
than seen in polar regions, shows larger interannual
variability, and needs to be analyzed by statistical
methods. Figure 7 shows data over northern middle
latitudes.

The precise quantitative understanding of themiddle-
latitude ozone reduction is still controversial. Both
dynamical and chemical theories have been advanced
and a number of processes could play a role. The
decline could arise from chemical destruction in situ,
with chlorine activated on midlatitude aerosol, in a
similar, but slower, fashion to that seen on polar
stratospheric clouds. Thus, with the inclusion of
varying sulfate aerosol loading, to represent reported
volcanic eruptions, some numerical models were able

to reproduce well the ozone observations in the 1990s
shown in Figure 7. Nevertheless others have argued
that dynamical changes (e.g., in the strength of the
polar vortex, in tropopause height, or in the strength of
the Brewer–Dobson circulation) could be partly,
indeed largely, responsible for the observed ozone
trend. Futhermore, statistical analyses have shown
that the Northern Hemisphere ozone trend is highly
correlated with modes of variability of the atmospher-
ic circulation, for example, the Arctic Oscillation,
which can be related to the strength of the Arctic
winter stratospheric vortex.Numericalmodels, driven
for many years by the daily changes in ‘observed’
meteorological conditions, are also capable of repro-
ducing some of the variability seen in Figure 7. It seems
clear that both dynamical and chemical processes
play a role; their precise quantification remains an
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important topic so that details of the future evolution
of ozone, in response to changing halogen loading
consequent on the Montreal Protocol and to other
atmospheric forcing, can be understood.

A large part of the observed middle-latitude decline
occurs in the very low stratosphere. However, recent
studies to investigate the altitude dependence of ozone
loss have shown that there is also a statistically
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significant decline in the upper stratosphere (Figure 8).
This is at the altitudes first predicted by Molina and
Rowland, on the basis of ideas involving just gas-phase
chemical reactions, and confirms their original
hypothesis.

The Impact of Aircraft Emissions

With a large, continuous rise in passenger miles in
recent years, the impact of aircraft emissions on the
atmosphere remains a serious concern. Indeed, the
Intergovernmental Panel on Climate Change (IPCC)
commissioned a special report on aviation impacts
(1999) considering both the potential radiative and
chemical impacts. The current consensus is that
emissions into the troposphere are likely to increase
ozone, whereas emissions into the stratosphere would
tend to reduce ozone. The precise altitude at which the
signof the impact changes is not clear, but is likely tobe
somekilometers into the lower stratosphere.Note that
subsonic passenger aircraft, particularly on long-haul
flights, now routinely spend a significant part of their
flight in the stratosphere, particularly in flights at
higher latitudes. For supersonic aircraft the greater
part of the flight by far would typically be spent in
the stratosphere. In either case, the current impact is
small, with calculated increases and decreases being
around a few percent. Nevertheless, if the aviation

sector continues to grow as at present or were a new
generation of supersonic passenger aircraft to be con-
structed, then the impact could eventually be very
important.

The Future

The future recovery of the ozone layer has already
been briefly mentioned and is the subject of a detailed
article (see Stratospheric Ozone Recovery). Neverthe-
less, it is reasonable to speculate here about the ozone
layer in the next decade or so. During this period, the
stratospheric abundance of halogen species is expect-
ed to decline by only a small amount. Other factors,
including changing stratospheric temperatures and
circulation, are likely to bemore important, especially
for interannual variability. In the Antarctic, the ozone
hole is expected to be a feature formany years to come.
Any long-term changes here will have only a small
effect in the next decade or so – temperatures are
already low enough for widespread PSC activity every
year – so interannual changes in the size of the vortex,
and especially changes at the vortex edge, are likely to
be of most importance. Temperatures in the Arctic are
closer to the threshold for PSC formation, so any
reduction in temperature could have a more profound
effect. At least while halogen loading remains high,
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there is the potential for severe ozone depletion in cold
Arctic winters.
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Introduction

Weighing functions, such as ozone depletion poten-
tials, are extremely useful tools in policy considera-
tions and scientific analyses for evaluating the relative
effects of human-emitted gases affecting the global
atmospheric environment. The scientific concept of
ozone depletion potentials (ODPs) arose originally as
a simplified means for determining the relative ability
of a chemical to destroy ozone (Wuebbles 1981;
Wuebbles et al. 1983). This concept for a relative
measure of the cumulative impact on stratospheric
ozone from trace gas emissions was found to be
particularly useful by policymakers in developing
policy to protect stratospheric ozone from further
destruction from emissions of chlorofluorocarbons
(CFCs), halons, and other relatively long-lived halo-

carbons. As a result, the ODP concept is an integral
part of national and international considerations on
ozone protection policy, including the international
Montreal Protocol and its amendments and the US
Clean Air Act. The US Environmental Protection
Agency and other organizations such as the United
Nations Environment Program now require evalua-
tions of ODPs for all newly considered halocarbons,
particularly for those under consideration as replace-
ment compounds for CFCs and halons and for use as
refrigerants, foam blowing agents, solvents, fire re-
tardants, and other relevant applications where sig-
nificant emissions could occur into the atmosphere.

Emissions of gases containing chlorine, bromine, or
iodine can particularly affect stratospheric ozone (but
not the emissions of water-soluble gases like HCl that
would likely be washed out of the atmosphere and not
reach the stratosphere). Chlorine, bromine, and iodine
react extremely efficiently with ozone in catalytic
processes, and these atoms can destroy thousands of
ozone molecules if they reach the stratosphere. If a
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compound does not contain chlorine, bromine, or
iodine, then it less likely to affect the stratosphere.
Exceptions could occur if the compound can achieve
such significant use that it would become a source of
stratospheric nitrogen oxides, hydrogen oxides, or
sulfuric particles.

The Concept of Ozone Depletion
Potentials

TheODP of a gas is defined as the integrated change in
total ozone per unit mass emission of the gas, relative
to the change in total ozone per unit mass emission of
CFC-11, one of the gases of most concern to ozone
change.Alternatively, theODPcanbederived byusing
a constant emission calculated to steady state relative
to the same for CFC-11. Numerically, the two
approaches are equivalent. Thus, the ODP of gas X
is defined by

ODPðXÞ ¼ DO3ðX; EÞ
DO3ðCFC � 11; EÞ ½1�

whereDO3ðX; EÞ is the steady-statepercentagechange
in stratospheric ozone burden due to emission at the
Earth’s surface of speciesX atEkg year� 1.As a relative
measure, ODPs are thought to be subject to fewer
uncertainties than estimates of the absolute percentage
of ozone depletion caused by different gases.

ODPs as used in the international scientific assess-
ments on stratospheric ozone sponsored by the World
Meteorological Organization (e.g., WMO 1992,
1995, 1999) are generally determined by two different
means: calculations from models, primarily from
models of global atmospheric chemistry and physics,
and a semiempirical approach developed by Susan
Solomon and colleagues (Solomon et al. 1992, 1994).
The twoapproaches give similar results.Until recently,
zonally averaged, two-dimensional models of the
global atmosphere were used primarily in the model
determination of ODPs. More computationally inten-
sive three-dimensional models, that represent varia-
tions with longitude as well as latitude and altitude,
are now beginning to be used for such studies, and
eventually, as these models are better tested and
evaluated, will be the modeling tool of choice for
determining ODPs. The numerical models used in
such studies attempt to account for all of the known
chemical and physical processes affecting chemical
species in the troposphere and stratosphere.

The compounds are assumed to enter the atmos-
phere at ground level, be transported in the atmos-
phere by dynamical processes, and react via photolysis
or through reaction with other atmospheric constitu-
ents. The reactivity of the particular compound

depends on its molecular structure. Generally, the
compounds of interest are likely to undergo photolytic
breakdown by ultraviolet (UV) or near-UV light, or to
react with OH in the troposphere and stratosphere, or
to react with atomic oxygen. There are several
pathways for delivering the final products of interest,
e.g., the chlorine or bromine, to the stratosphere, as
shown in Figure 1. The original compound, the source
gas, can be transported directly to the stratosphere,
where it reacts to form intermediate degradation
products that then react to release the halogen atoms,
or, for some reactions, release directly the halogen
atoms that can react with ozone. The long-lived gases
that are well mixed in the troposphere, those with
atmospheric lifetimes greater than about one year,
have almost all of their release of halogen atoms
occurring in the stratosphere. For the shorter-lived
gases, i.e., those with atmospheric lifetimes less than
one year, there is generally enough reactivity in the
troposphere for the intermediate reaction products
and the final products to be often produced in the
troposphere. If the products are water-soluble, then a
high fraction can be removed by washout processes,
particularly if the products are produced in the lower
troposphere. However, some of these products can be
transported to the stratosphere, thus allowing the
halogen atoms to be available for reactions with
ozone. Several studies suggest that, for some com-
pounds, a large fraction of the halogen reaching the
stratosphere does so in the form of reaction products
or as halogen atoms (Ko et al. 1997; Wuebbles et al.
(2001)).

Figure 2 shows some of the important considera-
tions in modeling the relevant chemical and physical
processes to determine the stratospheric ozone deple-
tion from emission of a halogenated compound. The
processes in the large dotted box are not important for
long-lived gases, but can be extremely important for
short-lived gases.

A major uncertainty in the models is the amount of
tropospheric hydroxyl, OH. Since few reliable meas-
urements of OH are available, the global distribution
has not been directly measured. As a result, given the
importance of the atmospheric lifetime in determining
the ODP for a substance, where those gases where
reaction with tropospheric OH is the primary loss
mechanism (as it is for many of the replacement
compounds) are concerned a scaling to the partial
lifetime of CH3CCl3 due to its reaction with tropo-
spheric OH is often used. As discussed below, short-
lived compounds – those with an atmospheric lifetime
shorter than about half a year – require special
consideration.

The semiempirical approach for determining ODPs
is based on direct measurements of select halocarbons

OZONE / Ozone Depletion Potentials 1637



and other trace species in the stratosphere. Thus, it
relates ODP values to measured quantities that can
also be used to evaluate the validity of the
model-calculated results. The semiempirical deriva-
tion requires knowing the physical properties of the

halogenated compound, its total lifetime (including
loss in the ocean or on soil in addition to reactivity in
the atmosphere), a factor representing the distribution
of inorganic halogen released in the stratosphere
obtained from observations of the compound or other
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compounds with similar reactivity, and an analysis of
the catalytic efficiency for ozone destruction, deter-
mined relative to chlorine. The definition of the ODP
of compound X using the semi-empirical approach is

ODPsemi�empðXÞ ¼ ðfractional release factorÞ

� mCFC-11
mX

� tX
tCFC-11

� nX
nCFC-11

�a

½2�

where the fraction release factor is based on observa-
tions as discussed above, m is the molecular weight, t
the lifetime, n the number of halogen atoms (n ¼ 3 for
CFC-11), and a the relative effectiveness (current
models suggest globally-averaged a values of 45 to 55
for bromine, and much larger values for iodine, as
much as 500–1000). While bromine and iodine atoms
are much more effective at destroying ozone, partic-
ularly in the lower stratosphere, than chlorine, various
forms of the halogen fluorine, such as F and CF3, have
very little effect on ozone (Solomon et al. (1995)).

Note that the semiempirical approach works only
for long-lived gases because it does not account for the
halogen that can reach the stratosphere as intermedi-
ate-reaction or final products.

In the semiempirical approach, the observed frac-
tional dissociation is used to determine the amount of
chlorine and bromine released and is then compared
with the observationally derived ozone loss distribu-
tion, with the assumption that the ozone loss results
only from halogen chemistry. The correlation between
different compounds is determined on the basis of
their relative reactivity in the troposphere and strat-
osphere. This semiempirical method avoids some of
the demanding requirements of accurate numerical
simulation of source gas distributions (i.e., of the
CFCs, HCFCs, and other compounds) and of the
resulting ozone destruction. This approach also may
be more realistic than current models that still under-
represent ozone destruction at lower-stratospheric
altitudes, particularly near the poles. However, the
semiempirical approach also depends on the accuracy
of the measurements used with this approach. As
mentioned earlier, the results for long-lived gases from
current models compare well with the semiempirical
derivation of the ODPs.

Since ODPs are defined in terms of the steady-state
ozone change (or alternatively as the integrated
cumulative effect on ozone of constant emissions),
they are not representative of the relative, transient
effects expected for short-lived compounds during the
early years of emission. For model calculations
assuming constant emissions, time-dependent ODPs
can also be defined where the changes in ozone for the

compound and for CFC-11 are calculated as a func-
tion of time on a per-unit-mass-emitted basis. These
time-dependent ODPs provide information on the
shorter-time-scale effects of a compound on ozone
(e.g., see WMO, 1992, 1995). In the first few years
after emission, the time-dependent ODP for a
compound can be often be larger than the eventual
steady-state value. However, the steady-state values
generally are preferred and are used in regulatory
considerations.

Derived ODPs

By definition, the ODP for CFC-11 is 1.0. The
calculated ODPs for other CFCs being banned are all
greater than 0.4. The ODPs for halons are all
extremely large, much greater than 1.0, reflecting the
high reactivity of bromine with ozone. The ODPs for
the HCFCs being considered as CFC or halon replace-
ments are all small, with values of 0.01–0.05 and
sometimes less. The effect on ozone from a unit mass
emission of one of these HCFCs would correspond-
ingly be less than a hundredth of the effect on ozone
than the CFC or halon they would replace. ODPs for
all the HFCs and PFCs and for sulfur hexafluoride are
near zero, owing to the low reactivity of their
dissociation products with ozone. Table 1 shows
ODPs for several of the gases of most concern in the
matter of ozone depletion. Replacement compounds
like hydrochlorofluorocarbons (HCFCs) and hydro-
fluorocarbons (HFCs, not shown because their ODPs
are close to zero) have much smaller ODPs than the
CFCs and halons.

Short-Lived Compounds: Special
Consideration

As discussed above, the ODP concept was originally
developed for CFCs and other halocarbons whose
atmospheric lifetime are sufficiently long (41 year) for
their mixing ratios to be uniform in the troposphere.
However, a number of the compounds recently being
proposed as replacements for substances controlled
under the Montreal Protocol have extremely short
atmospheric lifetimes, on the order of days to a few
months. Emissions of these compounds, generally
referred to as very short-lived substances (VSLS),
present special problems in determining ODPs. Most
uses of these compounds are at northern midlatitudes,
in the United States and Canada, Europe, or in Asia.
After emission, these compounds must be transported
to the tropics where they can then be transported into
the stratosphere. On the other hand, emissions from
locations in the tropics could have a much higher
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probability of reaching the stratosphere. A workshop
on VSLS (Wuebbles and Ko 1999) concluded that
stratospheric inorganic halogen loading, and the
ODPs, for very short-lived compounds should be
defined as a function of location (latitude, longitude)
and perhaps time of emission. It is not adequate to
treat these chemicals as if they were uniformly emitted
at all latitudes and longitudes, as is normally done for
longer-lived gases. Thus, for VSLS, there is no single
ODP value, but instead there should be a matrix of
values, dependent on location and perhaps time, if, for
example, there is a seasonal variation in the use and
emission of the compound.

An important example of a VSLS is n-propyl
bromide (also referred to as 1-bromopropane,
CH2BrCH2CH3 or simplified as 1-C3H7Br, or nPB).
This compound, useful as a solvent, has been estimat-
ed to have an atmospheric lifetime of about 19 days
owing to its reaction with hydroxyl, OH. Because nPB
contains bromine, any amount reaching the strato-
sphere has the potential to affect concentrations of
stratospheric ozone. Several recent studies provide
estimates for the impact of nPB on stratospheric
bromine levels (Olsen et al. (2000); Bridgeman et al.

(2000); Wuebbles et al. (2001)). These studies noted
that the idea of a single lifetime is flawed for very short-
lived compounds – mixing ratios of nPB reaching the
tropical upper troposphere depend strongly on lati-
tude and season of emission. The Wuebbles et al.
(2001) study used a global three-dimensionalmodel to
investigate transport of nPB and its degradation
products across the tropical tropopause. They found,
in qualitative agreement with the other two studies,
that tropical emissions were twice as likely to enter the
stratosphere as high-latitude emissions. Wuebbles
et al. showed that up to 0.5% of the Br emitted as
nPB at the surface entered the stratosphere, with only
20–30% of Br in the form of nPB. The remainder was
in the form of reaction products or inorganic bromine.
All of the modeling studies emphasize how the lack of
knowledge about the fate of the degradation products
limits our ability to quantify their contribution to
halogen loading in the stratosphere.

After emission, generally over continents at midla-
titudes in the Northern Hemisphere, short-lived
chemicals like nPB are not expected to have well-
mixed concentrations in the troposphere. Winds and
other mixing processes in the atmosphere would
gradually transport these gases to the tropics, where
they can be transported most effectively to the lower
stratosphere. At the same time, because of the short
lifetime, reaction with OH and other chemical loss
processes would convert a significant fraction of the
chemical emitted to its degradation products. The
processes affecting resulting degradation products
could be quite important, as they could act as vehicles
for transporting chlorine or bromine to the lower
stratosphere. The inorganic bromine compounds
produced from tropospheric nPB degradation, if not
sufficiently removed bywet deposition, could contrib-
ute further to stratospheric bromine. The question of
how much of the halogen that would be available to
affect stratospheric ozone therefore depends greatly
on the complex effects of transport and of chemical
processes in the troposphere.

Two-dimensional models, because of their zonally
averaged nature, are not designed to account ade-
quately for the variations in concentration and trans-
port of such short-lived compounds and their
degradation products. As a result, there are questions
about the adequacy of the ODPs determined with
these models for such chemicals. These questions are
further exacerbated by continual reduction in levels of
acceptable ODPs for replacement compounds in
policy considerations. The relatively small ODPs for
such short-lived compounds would still imply rela-
tively small effects on ozone compared with CFCs and
other controlled compounds. However, an acceptable
level of ozone depletion has not been established.

Table 1 Steady-state ozone depletion potentials (ODPs) for

some of the important chlorocarbons and bromocarbons of

concern to stratospheric ozone

Gas Chemical Formula ODP

Chlorofluorocarbons

CFC-11 CCl3F 1.0

CFC-12 CCl2F2 0.82

CFC-113 CCl2FCClF2 0.90

CFC-114 CClF2CClF2 0.85

CFC-115 CF3CClF2 0.40

Bromocarbons

Methyl bromide CH3Br 0.37

Halon-1301 CF3Br 12.0

Halon-1211 CF2ClBr 5.1

HCFCs

HCFC 22 CHClF2 0.034

HCFC-123 CF3CHCl2 0.012

HCFC-124 CF3CHClF 0.026

HCFC-141b CH3CCl2F 0.086

HCFC-142b CH3CClF2 0.043

HCFC-225ca CF3CF2CHCl2 0.017

HCFC-225cb CClF2CF2CHClF 0.017

Others

Carbon tetrachloride CCl4 1.20

Methyl chloroform CH3CCl3 0.11

Methyl chloride CH3Cl 0.02

Reproduced with permission from World Meteorological Organi-

zation (1999) Scientific Assessment of Ozone Depletion: 1998.

Global Ozone Research and Monitoring Project. Report no. 00.

Geneva: WMO.
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Evaluations of ODPs for short-lived compounds
with three-dimensional chemical transport models of
the troposphere and stratosphere are needed to resolve
these questions. In theory, these models should be able
to determine effectively the amount of a short-lived
chemical and its degradation products reaching the
stratosphere and the resulting potential effects on
ozone. However, these models are still under devel-
opment and generally are not ready for such analyses.
At this point, most three-dimensional chemical trans-
port models have been designed primarily for studies
of tropospheric processes and do not have complete
representations of the stratosphere and its processes.
These models are also computationally intensive,
limiting the number of studies that they can be used
for with current computing systems. The few models
that do have more complete stratospheres are even
more computationally intensive.

Table 2 compares the ODP values determined for
nPB from the three existing studies of this VSLS. The
evaluation of ODPs by Olsen et al. (2000) and
Bridgeman et al. (2000) considered only the direct
transport of nPB to the stratosphere (the source gas
pathway in Figures 1 and 2). Bridgeman et al. did an
analysis of possible intermediate degradation prod-
ucts that suggested that such compounds could
significantly increase the amount of bromine reaching
the stratosphere. As implied earlier, theWuebbles et al.
(2001) included both pathways. This has a pro-
found effect on the derived ODPs; the derived ODPs
are much larger than those found in the other two
studies for the limited scenarios evaluated (emissions
from selected continents and regions). However, when
only the direct nPB source is considered, results from
the Wuebbles et al. study (the range of ODP values
for the emissions scenarios considered is 0.003
(for US emissions) to 0.03 (for Indonesia and
South-East Asia) when only the source gas pathway
is considered) are more comparable to the other two
studies.

It should be mentioned that recent laboratory
studies suggest that the reactivity of degradation
products is much faster than assumed in Wuebbles
et al. (2001), and their ODP values for nPB will be
smaller (see estimated values in Table 2B). In summa-
ry, the existing studies for nPB have shown that the
ODPs for a VSLS do vary with location and season of
emission, by more than a factor of five for nPB. The
studies have also demonstrated the importance of fully
considering the reaction products in evaluating the
ODPs for VSLSs. These studies also suggest that
emissions of VSLS in the tropics will result in the
largestODE values.However, there remain significant
uncertainties in the existing studies. Further studies for
nPB and for other VSLS will have to use fully coupled

models of the troposphere and stratosphere to reduce
these uncertainties. These studies will have to give
full consideration to the reactivity products, their
water solubility, and their chemistry effects in the
troposphere.

Table 2

(A) Summary of existing studies that have determined a range of

ODE values for the case of n-propyl bromide (updated from the

evaluation in WMO, 2002)

Study Range of ODP

values

Effects of halogen

loading included

from degradation

product

pathways?

Bridgemana 0.0033–0.0109b No

Olsenc 0.0002–0.06 No

Wuebblesd 0.016–0.105 Yes

0.003–0.03 No (derived, based

on results in

paper)

(B) Estimated ozone depletion potentials (ODP) for nPB as a

function of location of emissions based on Wuebbles et al. (2001)

Emissions were evenly distributed over the land masses based on

their representation in the three-dimensional model. The range

represents different assumptions on the degradation chemistry.

In the simulation, bromoacetone is the major intermediate

degradation product that is transported to the stratosphere. The

last column gives the estimated ODPs assuming that bromo-

acetone does not reach the stratosphere.

Emission

scenario

Derived ODP

range

Modified ODP

rangee

Global 0.033–0.040 0.027–0.038

North America 0.018–0.019 0.015–0.017

United States 0.016–0.019 0.013–0.018

North America

1Europe1

Asia

0.021–0.028 0.017–0.026

Indonesia1South-

East Asia

0.087–0.105

0.071–0.100

aOlsenSC,HanneganBJ, ZhuXandPratherMJ (2000)Evaluating

ozone depletion from very short-lived halocarbons. Geophysical

Research Letter 27: 1475–1478.
bRange for the preferred set of calculations performed in the paper.

The authors also examined other sets of assumptions.
cBridgeman CH, Pyle JA and Shallcross DE (2000) A three-

dimensional model calculation of the ozone depletion potential of

1-bromopropane (1-C3h7Br). Journal of Geophysical Research

105: 26493–26502.
dWuebbles DJ, Patten KO, Johnson MT and Kotamarthi R (2001)

New methodology for ozone depletion potentials of short-lived

compounds: n-propyl bromide as an example. Journal of Geo-

physical Research 106: 14551–14571.
eBased on faster photolysis rate for brominated acetone degrada-

tion product.
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Ozone: Ozone Depletion; Photochemistry of Ozone.
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Halogens.
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Introduction

Ozone is one of themost important constituents of the
Earth’s atmosphere. It plays several major roles in the

atmosphere that include shielding the Earth’s surface
from UV radiation, acting as a greenhouse gas, and
generating reactive free radicals such as OH, which
oxidizes and removes pollutants from the atmosphere.
Each of these important roles involves the absorption
of photons by ozone and hence the importance of
ozone photochemistry.

Ozone absorbs radiation from the vacuum UV
through the visible into the infrared region. However,
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absorption of only visible and shorter-wavelength
radiation can dissociate ozone. The absorption spec-
trumof ozone in the visible andUVregions is shown in
Figure 1 and is based on the data from a variety of
sources. Absorption shown in Figure 1 involves the
excitation of ozone to an upper electronic state from
which it dissociates to an oxygen atom and an O2

molecule. It is, however, possible for ozone to split
apart into three O atoms below B197 nm; however,
such a three-way dissociation does not occur often. It
is also possible for ozone to emit the absorbed light;
such emission seldom occurs.

Generally speaking, excited species do not play a
major role in the chemistry of the Earth’s lower
atmosphere (i.e., below about 40 km). The most
notable exception is the first electronically excited
state of oxygen atom, O(1D). The primary reason for
the extreme importance of O(1D), which is present in
very small concentrations, is that it reacts with highly
unreactive species, such as H2O and N2O, and creates
free radicals, which are very reactive and are the key to
chemical changes in the lower atmosphere. Specifical-
ly, the OH radical in the stratosphere and troposphere
and NO (and eventually all nitrogen oxides) in the
stratosphere are produced mostly from the reactions
of O(1D).

Oð1DÞ þH2O ! 2OH ½1�

Oð1DÞ þN2O ! 2NO ½2�
The OH radical is immensely important in the
atmosphere for the following reasons: (1) OH is the
most important initiator of the atmospheric degrada-
tionof themajority of natural and anthropogenic trace
gases. (2) OH reactions provide the pathways that

interconvert active and inactive forms of catalysts that
are responsible for stratospheric ozone removal. (3)
OH is directly involved in catalytic removal of
stratospheric ozone. (4) OH is critical for initiating
the sequence of reactions that photochemically gener-
ate tropospheric ozone. Similarly, nitric oxide is a
crucial ingredient of the stratosphere.Once formedvia
the O(1D) reaction, it takes part in direct ozone
destruction, suppresses the ozone destruction by
halogens, and converts species from one form to
another. Therefore, O(1D) is a critical reactant in the
Earth’s atmosphere. The major source of O(1D) in the
atmosphere belowB40 km is the photolysis of ozone
in theHartley andHuggins bands that are indicated in
Figure 1.

Photodissociation of ozone in the visible region, in
the Chappuis band, is a major contributor to the
stratospheric production ofOatoms in their electronic
ground state (O(3P)). However, these atoms merely
combine with O2, most of the time, and form ozone
with release of heat. Thus, the absorption of visible
radiation by ozone merely converts light into heat.

O3 �!hn OþO2

OþO2 �!M O3 þ heat

In the first equation, hn represents a photon of light of
frequency n, and in the second equation M represents
an inert atmospheric gas such as N2 and O2. In most
regions of the atmosphere, the interconversion be-
tween O and O3 is so rapid that they are often treated
together as one entity called ‘oddoxygen’, denotedOx.

Before examining the photochemistry of ozone, it is
necessary to define a few terms that are commonly
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used. The absorption cross-section, denoted by s and
usually given in units of cm2 molecule�1, is a measure
of the ability of a molecule to absorb photons. The
absorption cross-sections can vary from zero to
roughly 1�10�16 cm2molecule�1. In some exceptional
cases, for example in atoms, the absorption cross-
sections can be much higher. An absorption cross-
section of B10�18 to 10�17 cm2 molecule�1 is consid-
ered to be large. So, as shown in Figure 1, ozone is a
strong absorber in the UVregion and a weak absorber
in the visible region. The extent to which the light is
absorbed is given in terms of the absorption cross-
section, the concentration of the molecules (n, in
molecule cm�3), and the path length (l, in cm) byBeer –
Lambert’s law, which states that

I

I0
¼ e�nsl

where I and I0 are the intensities of transmitted and
incident light, respectively. The second quantity of
interest is the quantum yield for a given process,
usually denoted by F, which is the fraction of
molecules that have absorbed light that results in a
specific process or leads to a specific product. The
quantum yield for the dissociation of amolecule varies
between 0 and 1. The quantum yield for the produc-
tion of a photoproduct is also usually somewhere
between 0 and 1, but can be greater than unity in some
cases. For example, if O3 photodissociates to give
three atoms, the quantum yield for O atoms is 3, while
the quantum yield for ozone loss is 1.

The photodissociation of O3 has been studied for a
very long time. It has been shown that O3 photodis-
sociates to give an O atom and an O2 molecule. The
key questions are: (1)Does ozone dissociate every time
it absorbs a visible or UV photon? (2) What energy
states of O and O2 are produced from ozone photo-
dissociation? (3) How do the yields of the photofrag-
ments change with temperature, pressure, and
wavelength? Clearly, the production of O(1D) or
O(3P) leads to vastly different consequences in the
atmosphere, as noted earlier.Understandingwhy these
species are formed at the specificwavelengths is also of
interest. From various studies that have been carried
out to date, it appears that ozone always dissociates
when it absorbs a visible or UV photon, at least at
pressures encountered in the Earth’s atmosphere.
Therefore, we can assume that the quantum yield for
ozone dissociation is unity. This is true at all atmos-
pheric pressures and, hence, the quantum yields are
independent of pressure. Because the excited ozone
produced upon absorption of UVand visible radiation
lives for a very short time,o10�13 s, the identity of the
molecule that surrounds this ozone does not matter

and the excited state has no time to collide before it
dissociates. In other words, the composition of the
atmosphere does not change the photochemistry of
ozone.

The energetic thresholds for the production of
various products from the photodissociation of ozone
are shown inTable 1. This table merely shows what is
energetically possible at 298K.However, the nature of
the excited state of ozone produced upon light
absorption determines which set of products is possi-
ble at a given wavelength and temperature. Since
several different excited states can be created by
absorption of light at one wavelength, it is possible to
get multiple sets of products. These photochemical
reaction pathways have been elucidated via experi-
ments over the past few decades.

Over the past 25 years, the photodissociation
of ozone has been carefully examined to quantify
how much O(1D) is produced subsequent to UV
absorption. This examination was stimulated by the
suggestion of Levy that OH radicals can indeed be
formed in the lower atmosphere, where H2O photol-
ysis is not possible. He suggested that the sequence of
reactions involving the photolysis of ozone to produce
O(1D) followed by the reaction of a fraction of
the O(1D) with H2O that produces OH to be a source
of OH.

Oð1DÞ þH2O ! 2OH

(the majority of the O(1D) is quenched to O(3P) in the
atmosphere). We will first discuss the photochemistry
in the UV region, i.e., below 400 nm, and then in the
visible region, covered by the Chappuis band.

Because of absorption by overhead ozone, the
actinic flux available for ozone photolysis in the lower
stratosphere and the troposphere drops very rapidly
below B330 nm. Stratospheric ozone acts as a UV

Table 1 Energetic and wavelength threshold for the production

of various electronic states of O and O2 in the photodissociation of

ozone

Products Threshold

energy

(kJmol�1)

Threshold

wavelength

(nm)

O(3P)1O2(
3S) 106.6 1118.4

O(3P)1O2(
1D) 199.1 599.2

O(3P)1O2(
1S) 263.5 452.6

O(1D)1O2(
3S) 296.1 402.8

O(1D)1O2(
1D) 388.5 307.0

O(1D)1O2(
1S) 452.9 263.3

O(3P)1O(3P)1O(3P) 605.1 197.1

Threshold energies and wavelengths are for 298K and assume

that ozone is in the ground vibrational state.
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shield by absorbing most of the biologically active UV
radiation. Since light belowB290 nm essentially does
not reach the lower stratosphere and the troposphere,
the critical wavelengths for the photodissociation of
ozone in this altitude region is restricted to B290–
350 nm.The upper limit for this wavelength range
comes about because the absorption cross-section of
ozone becomes so small at, or beyond, 350 nm that,
even with the increased solar flux, the photodissoci-
ation of ozone becomes negligible. This is precisely the
wavelength region where O(1D) production decreases
from near-unity values around 305 nm to near-zero
values around 320 nm, as shown in Figure 2. There-
fore, the calculated atmospheric O(1D) production
rate is very sensitive to changes in the wavelength
dependence of the quantum yield for its production in
this wavelength range. It is also this region where the
UV absorption cross-sections of ozone and the quan-
tumyields forO(1D) production are highly sensitive to
temperature. Thus, all the factors that together deter-
mine the O(1D) production rate are simultaneously
changing rapidly with wavelength in this critical
region. Therefore, accurate determinations of
these parameters are thus crucial. Since the
absorption cross-section and available light levels are
known, the uncertainty in photochemistry of ozone is
the main concern for calculating O(1D) production
rate.

Until a few years back, based on many previous
data, it was assumed that the O(1D) production drops
monotonically from a near-unity value atB290 nm to
zero byB310 nm. The threshold for the energetically
allowed channel to produce O(1D) and O2(

1D), the
first electronically excited state of O2 molecule, is
B307 nm for all ozone in the ground vibrational state
(Table 1). However, onewould expect the threshold to
be shifted to a longerwavelength (B310 nm) because a

fraction of the ozonemolecules will have extra energy,
in the form of vibrational energy that can help
overcome the barrier and hence increase the threshold
wavelength.

O3 �!hn Oð1DÞ þO2ð1DÞ
It was assumed that the quantum mechanical
electronic spin-conservation rules would require
the coproduct of O(1D) to be O2(

1D) and that
for O(3P) to be O2(

3S), since the upper state of
ozone accessed by absorption is a singlet state formed
via the strongly allowed transition from a singlet
ground state.

The earliest measurements of O(1D) quantum yield
in ozone photodissociation were those of Jones and
Wayne and are shown in Figure 3. Their results agreed
with the above expectation of zero quantum yields
around 320 nm that increased to unity around
300 nm. Later studies of Moortgat and co-workers
showed that the quantum yield changed with wave-
lengths above 305 nm to produce the shape shown in
Figure 2. In these studies, the measured quantum
yields for O(1D) reached zero by 330 nm and this
variation was not very sensitive to temperature in the
wavelength range of 305–330 nm.Many other studies
followed and were generally in agreement with this
conclusion. These determinations of the O(1D) quan-
tum yields in the 1970s and 1980s were pivotal for
atmospheric chemistry and they enabled the calcula-
tion of O(1D), and hence OH, production rates in the
atmosphere.

There were, however, some laboratory data that
indicate the presence of a ‘tail’ inO(1D) quantum yield
(i.e., a nonzero quantum yield) beyond the energetic
threshold. Adler-Golden and co-workers had clearly
pointed out that vibrationally excited ozone, which is
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naturally present in the atmosphere, could give O(1D)
via the spin-allowed channel well beyond the 307 nm
energetic threshold calculated for the ground state of
ozone. Thus, the vibrational excitation of ozone
decreased the energy barrier for O(1D) production
and extended this photochemical process to longer
wavelengths. Michelsen and co-workers showed that
the effect of the vibrationally excited ozone in the
atmosphere was to give nonzero quantum yields,
which varied with temperature, beyond the 310 nm
limit in the atmosphere. The quantum yield in this
wavelength region from atmospheric ozone was
expected to decrease with decreasing temperature
because the fraction of vibrationally excited ozone
molecule would decrease with temperature. Based on
the data obtained over the past few years, it has
become clear that O(1D) is produced well beyond the
310 nm threshold. More interestingly, some of these
experiments show that the quantum yield does not go
to zero at B320 nm when the temperature is low
enough to eliminate the existence of a significant
fraction of ozone in its vibrationally excited
level. Some very recent experiments suggest that
the quantum yield does not go to zero even beyond
330 nm and may well extend to B370 nm. This
nonzero yield has been attributed to the spin-forbid-
den channel for O(1D) production, i.e., O(1D)1
O2(

3S). Other spin-forbidden products in the photo-
dissociation of ozone have been seen in recent labo-
ratory measurements. Thus, it appears that the spin-
forbidden channels aremore prevalent thanpreviously
believed.

Thus, in the wavelength region of 290 toB340 nm,
the following processes occur:

O3 �!hn Oð1DÞ þO2ð1DÞ

O3 �!hn Oð3PÞ þO2ð3SÞ

O3 �!hn Oð1DÞ þO2ð3SÞ

O3 �!hn Oð3PÞ þO2ð1DÞ

Currently, the data set for the quantum yields for
O(1D) production in ozone photolysis at wavelengths
betweenB308 andB340 nm is good but they do not
completely agree with each other. However, all the
recent data agree qualitatively (even semiquantitative-
ly) as to how the O(1D) quantum yield changes with
wavelength and temperature. All the recent studies
substantiate the existence of the temperature-depend-
ent ‘tail’ and of the spin-forbidden photodissociation
pathway. Figure 4 shows the variation of the quantum
yields for O(1D) with wavelength at a few tempera-
tures that is derived from a critical analysis of the
available data.

The observed O(1D) quantum yield clearly shows
that three processes occur: (1) Ozone in the ground
vibrational level absorbs light belowB310 nm to give
O(1D) and O2(

1D). This process, which decreases very
rapidly as the wavelength increases above the thresh-
old, is the largest contributor to the rapid change in the
quantum yield with wavelength and is not very
sensitive to temperature. (2) Ozone present in its first
vibration photodissociates at wavelengths longer than
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310 nm. It also contributes below 310 nm, but its
contribution is not significant compared to the disso-
ciation from the ground state. The vibrational energy
of ozone allows O(1D) production beyond 310 nm, to
approximately 320 nm, and is an allowed process. As
the temperature is lowered, the contribution of this
channel decreases as the population of vibrationally
excited ozone decreases. (3) Ozone excited from its
ground vibrational state photodissociates to
O(1D)1O2(

3S), a spin-forbidden channel. The con-
tribution of this channel, which is small but significant
(B8%), appears to be essentially independent of
temperature and wavelength. However, better meas-
urements of the quantum yields in this region may
show variation. Because of the very low absorption
cross-sections of ozone in this region, experimental
measurements are very difficult. Beyond B330 nm,
the majority of the ozone dissociated to yield
O(3P)1O2(

3S), the spin-allowed channel. Currently,
it is not clear if the small spin-forbidden O(1D)
production channel extends toB400 nm, the energet-
ic threshold for this process (Table 1).

The significance of these changes inO(1D) quantum
yields is very important to atmospheric calculations.
One measure of this importance is the change in the
rate of O(1D) production in the atmosphere as
measured by the first-order rate coefficient for this
process. Figure 5 illustrates the change in the calcu-
lated O(1D) production rate when the processes
discussed above are included. There are many situa-

tions in the atmosphere where the available wave-
lengths are restricted to greater than 310 nm, where
the importance of the ozone photodissociation via the
excited ozone and the spin-forbidden channels be-
come dominant. Such situations include high solar
zenith angles and large overhead ozone columns, both
common at high latitudes during late-fall to early-
spring time. Of course, high solar zenith angles occur
every day at all sunlit locations at least for a short
period.

At wavelengths below 305 nm, the quantum yield
for O(1D) is large and close to unity. However, it
appears that the quantum yield ofO(1D) never reaches
unity, i.e., O(3P) is always produced, at least down to
220 nm. Experiments carried out between 290 and
305 nm and at 222, 248, and 266 nm all suggest that
the quantumyield forO(1D) is about 0.85. Thismeans
that the quantum yield for O(3P) production at
wavelengths between 220 and 305 nm is about 0.15.
The coproduct of O(3P) is assumed to be O2(

1S), with
a large amount of internal and translational energy.
However, in face of the prevalence of spin-forbidden
processes at longer wavelengths, it may be useful to
characterize the electronic state ofO2 that is produced.
Sufficient work has not been done in this wavelength
region to elucidate fully the quantum yield of O(1D).
The wavelength region of 220–305 nm is not
of major significance to the lower atmosphere because
most light in this region is absorbed by ozone
before it reaches the mid- and lower stratosphere.
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AboveB40km,O2 photolysis contributes significant-
ly toO(1D) production andozone photolysis decreases
in relative importance.

Below 200 nm,where a new band of ozone appears,
the photochemistry of ozone is not as well understood
as in the 200–350 nm region. There are some indica-
tions that ozone photolysis in this region, specifically
at 193 nm, can yield three oxygen atoms.

O3 �!hn 3O

Production of three O atoms from ozone could be due
to one of twoprocesses: (1) the excited ozonemolecule
splits apart into three O atoms or (2) the excited atom
splits apart into an O atom and an O2 molecule that is
sufficiently excited to decompose into twoO atoms. If
the production of three ground state O atoms in ozone
photolysis is prevalent in this region, photodissocia-
tion of O3 can lead to ozone production!

O3 �!hn 3O

3ðOþO2 �!M O3Þ
net : 3O2 ! 2O3

Such ozone production will be, however, limited to
high in the atmosphere because O2 shields the lower
levels from wavelengths less than 200 nm.

The identities of the electronic states of the products
of the photodissociation of ozone in the Chappuis
band have not been extensively studied recently.
However, all the available data to date suggest that
O(3P) is the primary product. It also appears that the
coproduct of this O(3P) is O2 in the ground electronic
state. This conclusion is based mostly on the observa-
tion that the quantumyield for the removal of ozone in
the photolysis of pure ozone in the Chappuis band is
close to 2. If other electronic states of O2 were
produced, one would expect a larger quantum yield
for the removal of ozone.

There have been some theoretical studies carried out
to understand ozone photodissociation. However, it
has proved difficult to understand how exactly ozone
photodissociates and what specific products are
formed.
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Role in Climate
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Ozone, like carbon dioxide, is a greenhouse gas, that is
it absorbs and emits in the thermal infrared, trapping
heat to warm the Earth’s surface. However, ozone,
owing to its shorter chemical lifetime, is not as
uniformly distributed throughout the atmosphere as
the so-called well-mixed greenhouse gases or
WMGHGs (CO2, CH4, N2O, and several halocar-
bons); this allows dynamical and chemical feedbacks
to significantly alter its concentration. In contrast to
these and other greenhouse gases (such as water
vapor), ozone has strong absorption bands at solar
wavelengths (see Figure 1). These differences make
calculations of ozone’s role in climate and climate
change a challenging task for the scientific community.

This article first describes ozone’s role in the energy
balance of the planet. Separate sections discussing
ozone changes, radiative forcing, and stratospheric
temperature change follow. The final section investi-
gates possible feedbacks between ozone and climate
and examines ozone change in the future.

Role in Earth’s Energy Balance

The distribution of ozone in the atmosphere is largely
influenced by a combination of photochemical
production and loss mechanisms at ultraviolet wave-
lengths, and atmospheric dynamics. Therefore, to

understand its role one needs to understand the three-
way interaction between chemistry, radiation, and
dynamics. The main absorption bands for ozone are
shown in Figure 1. Ozone absorbs a significant
amount of the Sun’s energy in the stratosphere,
particularly at ultraviolet wavelengths (o0.35 mm)
(right panels). This leads to a localized solar heating of
up to 14Kday�1 at the polar summer stratopause (see
Figure 2A) and is responsible for the usually observed
increase of stratospheric temperatures with height. In
the thermal infrared, above roughly 30 km, ozone
absorption cools the atmosphere. This cooling again
has a maximum at the summer stratopause (of up to
4Kday�1), partially offsetting the effects of ozone’s
strong solar absorption (see Figure 2B). As the main
ozone absorptionbands in the thermal infrared are less
opaque than the CO2 and water vapor bands, it also
gives a significant thermal infrared heating near the
tropopause (see Figure 2B). Although the 14mm band
is far less important in determining the ozone heating
rates, compared to the stronger 9.6 mm band (see
Figure 1, left panels), radiative transfer models that do
not include it in their calculations have been shown to
underestimate the radiative forcing by up to 30%
(discussed later).

Figure 3 uses a simple radiative convectivemodel to
illustrate how surface temperature is sensitive to ozone
changes at different altitudes. In terms of an absolute
perturbation, a change in ozone near the tropopause is
more important than changes elsewhere (Figure 3A).
However, as ozone changes are usually quoted in
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percent,Figure3B is perhaps themore appropriateway
of examining the effects of anozone change. This figure
shows that surface temperatures are sensitive over a
wider range of altitudes and illustrates that knowledge
of the vertical structure of the ozone trend is important
for determining the radiative forcing (see below).

Ozone Changes

A few European observations and chemical modeling
studies indicate that tropospheric ozone has been
increasing since preindustrial times, with the largest
changes in the industrial NorthernHemisphere. There
is also evidence that anthropogenic biomass burning
significantly increases tropical tropospheric ozone
values. In contrast, stratospheric ozone changes have
occurred over a much shorter time scale, roughly 20

years. Measurements indicate a large human-induced
ozone depletion outside the tropics and especially at
high latitudes. Previously published work has largely
treated tropospheric ozone and stratospheric ozone
changes separately, owing to the differentmechanisms
and time scales involved. However, it is now apparent
that to successfully model ozone changes and their
effects in the region of the upper troposphere, strato-
spheric ozone changes need to be accounted for.

For several decadeswe have had a global network of
ground-based observations of total column ozone.
Satellite measurements have been available since
1979. Although estimates of the total column trend
from these ground-based instruments and satellites are
in relatively good agreement, the vertical structure of
the ozone change is less certain and is a limiting factor
in determining both the stratospheric temperature
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response and the radiative forcing. Over the last two
decades the Stratospheric Aerosol and Gas Experi-
ment (SAGE) and Solar Backscattered Ultraviolet
instrument (SBUV) satellite instruments have meas-
ured the vertical structure of ozone at 20 km or above
over most of the globe. However, sparse and infre-
quent flights of ozone sondes are relied on at high
latitude and lower altitudes, especially within the
crucial region of the tropopause (see Figure 3)

Radiative Forcing

Radiative forcing is a commonly used metric for
assessing climate change mechanisms: Compared to
calculations of surface temperature change, it is a
relatively straightforward calculation, and allows a
more quantifiable and robust comparison of climate
change mechanisms between models. The adjusted
radiative forcing has been adopted by the Kyoto
protocol and IPCC (Intergovernmental Panel on Cli-
mate Change) process; they define it as ‘the change in
net irradiance at the tropopause after allowing strato-
spheric temperatures to readjust to radiative equilib-
rium’. The global-mean radiative forcing (DF) can be
simply related to the equilibrium global-mean surface
temperature change (DT) by the simple formula
DT ¼ lDF,where l is the climate sensitivity parameter.

For stratospheric ozone depletion, in particular, the
calculation of radiative forcing is complicated by both
the stratospheric temperature adjustment and the
choice of tropopause. Without inclusion of this adjust-
ment, the reduction in solar absorption in the strato-
sphere dominates the change in thermal infrared
emittance, giving a net positive radiative forcing.
However, when stratospheric temperature adjustment
is included, the stratosphere cools, reducing the strato-
spheric thermal infrared emittance to such an extent as
to give an overall net negative radiative forcing. To
calculate the changes in stratospheric temperatures, an
approximation such as fixed dynamical heating (FDH)
or seasonally evolving fixed dynamical heating (SE-
FDH) is usually employed. These temperature adjust-
ments can be made without recourse to a dynamical
model, as both approximations assume that the strat-
osphere does not respond dynamically to the radiative
forcing. This approximation has been shown to be
reasonably accurate, at least to a first order.

The radiative forcing concept is perhaps not so
applicable to stratospheric and tropospheric ozone
changes as to WMGHG changes. It assumes that a
value of watts per square meter from any forcing
mechanism will lead to the same global-mean surface
temperature change. Several coupled ocean–atmos-
phere general circulation models have found that this
is not necessarily the case for ozone changes near the

tropopause, compared to other forcings. Likewise, the
localized forcing pattern of tropospheric ozone (see
Figure 4) may also affect its climate sensitivity. Studies
have shown that the climate sensitivity can vary by up
to40%between its value for anozone change and for a
WMGHG change. However, even such a large uncer-
tainty is still smaller than the uncertainty in climate
sensitivities between different models employing the
same forcing mechanism, which differs by up to a
factor of 3. There are indications that a consensus is
emerging from similar ozone experiments in different
coupled GCMs, which suggests a possible future
modification to the radiative forcing to compensate
for its different climate sensitivity. Owing to the
differences in climate sensitivity between models, the
radiative forcing concept remains the most appropriate
wayof comparingdifferent climate changemechanisms.

Examples of these radiative forcing calculations are
shown in Figure 4 for sulfate aerosol changes,
WMGHG changes, and stratospheric and tropospher-
ic ozone changes. The stratospheric forcing roughly
follows the pattern of ozone change, with a radiative
forcing close to zero on the Equator, decreasing to
negative values at high latitudes.Owing tohigher solar
insolation at lower latitudes, the maximum tropo-
spheric ozone forcing is somewhat shifted toward
lower latitudes compared to the maximum tropo-
spheric ozone change. Like the WMGHG forcing
(Figure 4B), but in contrast to the direct sulfate aerosol
forcing (Figure 4D), the two ozone radiative forcing
patterns have similar pole–equator gradients.

Figure 5 shows a histogram comparing global-mean
estimates of these radiative forcings for two time
periods. The figure illustrates the fact that although
stratospheric ozone changesmay not have contributed
a large forcing since preindustrial times, they have had
a far more significant role if viewed over the 1980–
2000 time frame. Most of the stratospheric ozone
changes can be viewed as an indirect effect of
halocarbon emissions. Over this period, the forcing
cancels out roughly 50%of that from the halocarbons
themselves. As other halocarbons have now largely
replaced their ozone-depleting counterparts and these
replacements still lead to global warming, it is
expected that, as ozone recovers, the cancellation
will no longer occur and there will be a large positive
rate of change in the combined ozone and halocarbon
radiative forcing. However, a possible delay to ozone
recovery, caused by stratospheric cooling, could delay
this process (see below).

Signatures of WMGHG, sulfate aerosol, volcanic,
and solar forcings have all been observed in the record
of surface temperature change.However, this is not yet
possible for ozone, since stratospheric and tropo-
spheric ozone forcing values are relatively small and
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their patterns are similar to the WMGHG and direct
sulfate aerosol forcing patterns, respectively (see
Figure 4). Nonetheless, the effects of ozone changes
on the stratosphere are far larger and give some of the
best evidence for an anthropogenically induced cli-
mate change. This is discussed next.

Stratospheric Temperature Change

Tropospheric ozone increases are calculated to have
led to a significant cooling of the lower stratosphere
since preindustrial times. However, as stratospheric
temperatures have beenmonitored over the same time
period in which stratospheric ozone loss has been
recorded, most research effort has concentrated in
this area.

A number of different types of models have been
used to investigate the effect of stratospheric ozone
depletion on temperature.Models that have been used
range from one-dimensional radiative convective
models through fixed dynamical heating models to
fully coupled chemistry general circulation models.
Generally, all simulations show a cooling of the
stratosphere for stratospheric ozone depletion. How-
ever, as discussed above, the magnitude as well as the
vertical and latitudinal pattern of the cooling depends
crucially on the pattern of the ozone trend employed,
whether imposed or modeled; this remains one of the
largest uncertainties in the prediction of stratospheric
temperature changes.

Despite these uncertainties, stratospheric ozone
depletion is expected to have led to a considerable
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cooling of the lower stratosphere. An example of one
atmospheric general circulation model result is pre-
sented in Figure 6A. This model imposed observed
trends on a background climatology to simulate the
temperature change between 1979 and 1997. A
weighting function has been applied to this tempera-
ture trend to simulate the behavior of the Microwave
Sounding Unit channel 4 (MSU4) temperature sensor;
this weighting function is quite broad, with a maxi-
mum at 90 hPa. For comparison, the MSU4 temper-
ature trend is also shown (Figure 6B). It can be seen
that much, but not all, of the observed cooling in the
MSU4 satellite record can be accounted for by the
ozone change. This is particularly true in the Antarctic
spring. The three other main factors that may have
influenced temperature at these altitudes over this
period are changes in WMGHGs, and increases in

volcanic aerosol and stratospheric water vapor.
WMGHGs have only a small effect at these altitudes,
leading to a cooling of less than 0.3K. Increases in
stratospheric aerosol after the volcanic eruptions of
Mt. Pinatubo (1991) and El Chichón (1982) led to a
short-term (up to 2 years) large warming of the lower
stratosphere. These years have been removed from the
trend analysis in Figure 6B. Increases in stratospheric
water vapor have occurred over a similar period and,
although it may have an effect comparable to that of
ozone, and therefore have contributed significantly to
the observed cooling in Figure 6B, its global trend is
still very uncertain. However, it may well account for
most of the difference between the observed and
modeled trends.

Ozone changes over the last two decades have also
been shown to cool the atmosphere in the region of the
stratopause (1 hPa, 50 km). Models predict an ozone-
induced cooling of 1.0–1.5Kdecade�1 at these alti-
tudes. The cooling from increases in carbon dioxide
over a similar period is expected to contribute a further
cooling of 1.3Kdecade�1; the combined cooling is
comparable to that seen in observations (roughly
2.5Kdecade�1). At 10 hPa, ozone trends are prob-
ably close to zero and sodonot have a significant effect
on temperature trends.

Climate-Ozone Feedbacks

Assessing the role of ozone in climate requires an
understanding of the interactions between chemistry,
radiation, and dynamics. Until recently, model pre-
dictions of ozone role included few of the possible
feedback mechanisms. For example, the model
described above allowed the ozone change to alter
the radiative heating and dynamics, but it did
not allow feedbacks on the surface temperature
or ozone change. There are a number of possible
feedbacks between ozone and climate, and vice versa
thatmight be important, especially in the future. Some
of these feedback mechanisms are discussed below.

There are observations that the cooler high-latitude
stratosphere, by whatever means the cooling has been
caused, has led to a delay in the breakdown of both
polar vortices, particularly over Antarctica. This
cooling of the stratosphere and change in the polar
vorticesmaywell be exacerbated by furtherWMGHG
increases. Moreover, this cooling may well be accom-
panied by an increase in levels of stratospheric water
vapor. These two effects could increase the formation
of polar stratospheric clouds (PSCs), which may
increase heterogeneous ozone loss and lead to further
ozone depletion, especially in theArctic. There is some
evidence that ozone levels have been depleted by
heterogeneous chemistry on stratospheric aerosol
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following recent volcanic eruptions. This feedback
between volcanoes and ozone probably did not occur
in the pre-chlorine-loaded stratosphere and can thus
be thought of as a human-induced process.

It is expected that increased penetration of ultra-
violet radiation into the troposphere will occur in an
ozone-depleted stratosphere. This, in turn, is expected
to alter tropospheric chemistry and in particular to
increase levels of OH. This mechanism has been
calculated to reduce levels of tropospheric ozone,
acting as an indirect negative feedback. Changes in
OH potentially have many other indirect effects on
climate, such as altering levels of many source gases,
such as CO and CH4. There is also a proposed
mechanism by which increases in OH could increase
the number of cloud condensation nuclei, which in turn
may increase global cloud albedo, leading to a further
indirect negative forcing from stratospheric ozone loss.

Several chemical transport modeling studies have
now been published predicting future ozone changes,
allowing feedback ofmodel dynamics and radiation on
the ozone chemistry. At present these models are
computationally expensive and there are large differ-
ences between the estimates from different groups.
Most groups predict that increases in greenhouse gases
will continue to cool the lower stratosphere, increasing
the amounts of PSCs, which in turn will lead to further
heterogeneous ozone loss chemistry, especially in the
Arctic. They predict that this could delay the recovery
of ozone to pre-1990 levels by up to several decades.
However, dynamical changes, such as changes in
planetary wave activity, could alter the strength of the
stratospheric vortices and therefore the stratosphere’s
chemistry and temperature in ways as yet unknown.

See also

Carbon Dioxide. Global Change: Human Impact of
Climate Change; Ozone Trends; Surface Temperature
Trends; Upper Atmospheric Change. Ozone: Ozone De-
pletion; Ozone Depletion Potentials; Photochemistry of

Ozone; Surface Ozone (Human Health). Stratosphere–
TroposphereExchange:Global Aspects.Stratospher-
ic Ozone Recovery. Stratospheric Water Vapor. Vol-
canoes: Role in Climate.

Further Reading

Austin J (2002) A three dimensional coupled chemistry
climate model simulation of past stratospheric trends.
Journal of Atmospheric Science 59: 218–232.

Bekki S, LawKSandPyle JA (1994)Effect of ozonedepletion
on atmospheric CH4 and CO concentrations. Nature
371: 595–597.

Forster PMD and Shine KP (1997) Radiative forcing and
temperature trends from stratospheric ozone changes.
Journal of Geophysical Research – Atmospheres 102:
10841–10855.

IPCC (2001) Climate Change 2001: The Scientific Basis.
Intergovernmental Panel on Climate Change. Cam-
bridge: Cambridge University Press.

Langematz U (2000) An estimate of the impact of observed
ozone losses on stratospheric temperature. Geophysical
Research Letters 27: 2077–2080.

Rosier SM and Shine KP (2000) The effect of two decades of
ozone change on stratospheric temperatures as indicated
by a general circulation model. Geophysical Research
Letters 27: 2617–2620.

Shindell DT, Rind D and Lonergan P (1998) Increased polar
stratospheric ozone losses and delayed eventual recovery
owing to increased greenhouse gas concentrations.
Nature 392: 589–592.

Shine KP and Forster PMD (1999) The effect of human
activity on radiative forcing of climate change: a reviewof
recent developments. Global and Planetary Change 20:
205–225.

Solomon S (1999) Stratospheric ozone depletion: a review of
concepts andhistory.ReviewsofGeophysics37: 275–316.

Stevenson DS, Johnson CE, Collins WJ, et al. (1998)
Evolution of tropospheric ozone radiative forcing. Geo-
physical Research Letters 25: 3819–3822.

World Meteorological Organization (1998) Scientific
Assessment of Ozone Depletion: 1998, Global Ozone
Research andMonitoring Project ReportNo 44. Geneva:
World Meteorological Organization.

Surface Ozone (Human Health)

M Lippmann, New York University, Tuxedo, NY, USA

Copyright 2003 Elsevier Science Ltd. All Rights Reserved.

Introduction

Ozone (O3) is almost entirely a secondary air pollut-
ant, formed in the atmosphere through a complex

photochemical reaction sequence requiring reactive
hydrocarbons (HC), nitrogen dioxide (NO2), and
sunlight. It can only be controlled by reducing ambient
air concentrations of HC, NO2, or both. Motor
vehicles are one of the major categories of sources of
HC, NO2, and nitric oxide (NO). NO and NO2

combined, referred to as NOx, along with HC, have
been the target of control efforts andmajor reductions

OZONE / Surface Ozone (Human Health) 1655



(490%) have been achieved in HC emissions per
vehicle. Substantial reductions inNOx emissions from
motor vehicles and power plants are only now being
implemented.

We know a great deal about O3 chemistry and have
developed highly sophisticated O3 air quality models.
Unfortunately, the models, and their applications in
control strategies, have clearly been inadequate in
terms of meeting national and local air quality goals.
We also know a great deal about some of the health
effects ofO3.However, much ofwhat we know relates
to transient, apparently reversible effects that follow
acute exposures lasting from5min to8 h.These effects
include changes in lung capacity, flow resistance,
epithelial permeability, and reactivity to bronchoac-
tive challenges; such effects can be observedwithin the
first few hours after the start of the exposure and may
persist for many hours or days after the exposure
ceases. Repetitive daily exposures over several days or
weeks can exacerbate and prolong some of these
transient effects, while ameliorating others.

Decrements in respiratory functions such as forced
vital capacity (FVC), as measured by the air volume
that can be expelled from fully inflated lungs with a
maximal effort, and forced expiratory volume in the
first second of a vital capacity maneuver (FEV1) fall
into the category where adversity begins at some
specific level of pollutant-associated reduction. How-
ever, there are clear differences of opinion on what the
threshold of adversity ought to be, especially for the
more sensitive members of the population.

For O3, the only significant exposure route is
inhalation, and exposure can be defined as the
concentration at the nose and mouth. Local outdoor
concentrations are reduced in the vicinity of heavy
vehicular traffic owing to scavenging ofO3 byNO.On
the other hand, less trafficked areas downwind may
have higher O3 concentrations because of the enrich-
ment of the air mass with motor vehicle exhaust
precursor chemicals and because of active photo-
chemistry. Thus, outdoor O3 concentrations can be
either higher or lower than those measured at central
monitoring sites. Indoor concentrations of O3 are
almost always substantially lower than those outdoors
because of efficient scavenging by indoor surfaces and
the lack of indoor sources.

Exposures are only one determinant of O3 dose,
which is also determined by the volume of air inhaled
and the pattern of uptake of O3 molecules along the
respiratory tract. When people work or exercise
outdoors, and thereby increase their rate of ventila-
tion, the contribution of outdoor exposure to total O3

dose generally becomes the dominant factor. The dose
to target tissues in the respiratory acini (the region
from the terminal bronchioles through the alveolar

ducts) increases even more with exercise than does
total respiratory tract dose, sinceO3 penetration to the
acini increases with tidal volume and flow rate.

Types of Studies

Controlled Human Exposures

There is a very large database from studies in which
selected human volunteers were exposed to O3 in
purified laboratory air for specific times. In most
studies a series of exposures took place in random
order, and included exposures at one or more concen-
trations as well as a sham exposure to purified air.
Many involved prescribed periods and intensities of
exercise during the exposure interval. The most
commonly measured effects were changes in forced
expiratory flow rates and volumes and/or changes in
airway resistance and compliance.

The advantages of controlled human exposure
studies are (1) the opportunity to carefully select and
carefully characterize the subjects, whether they be
healthy normals, asthmatics, smokers, etc.; (2) the
willingness and ability of most volunteer subjects to
perform various levels and durations of exercise
during the exposures; (3) the ability to deliver and
monitor the preselected challenge atmospheres during
the exposure; (4) the ability of the subjects to
reproducibly perform respiratory maneuvers required
for some functional assays and to provide information
on symptomatic responses; and (5) avoidance of the
need to make interspecies extrapolations.

The major limitations of controlled human expo-
sures are that (1) ethical constraints limit the chal-
lenges and effects assays that can be performed (i.e.,
challenges that produce only transient functional
changes); (2) the numbers of repetitive challenges
and assays are limited by subject tolerance and co-
operation; and (3) the number of subjects that can be
studied is limited by the generally large costs of
performing the studies and/or by the availability of
sufficient numbers of subjects with the desired char-
acteristics.

Natural Human Exposures

There is also a human database from studies of the
responses of natural populations to exposures to
ambient air pollutants. Among the more difficult
challenges of such studies are (1) identifying an
accessible population at riskwhose relevant exposures
can be defined and adequately characterized; (2)
collecting an adequate amount of suitable quality-
assured data on exposure and responses; and (3)
collecting sufficient data on identifiable characteristics
of the individuals and of their environmental
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exposures to other agents that may influence the
response variables and thereby confound any of the
hypothesized pollutant exposure–response relation-
ships that may be present.

The basic design premise in field studies is to
maximize the signal-to-noise ratio for the pollutant
exposure–response relationships. The noise on the
response side of the relationships has been the focus of
much work and guidance on these aspects is available
from the American Thoracic Society. There has been
less focus on the reduction of the noise in the exposure
variables. An opportunity was created by the recog-
nition that the summer haze is regional in scale and is
enriched in secondary air pollutants such as O3 and
sulfuric acid (H2SO4), both of which form gradually
during daylight hours in air masses containing diluted
primary pollutants transported over long distances
from industrial, power plant, and motor vehicle
sources, especially SO2, NO2, and HC. Therefore,
studies of populations were undertaken in communi-
ties remote from local sources of air pollution,
primarily in wooded regions where ammonia (NH3)
sources, which would rapidly neutralize the H2SO4,
would also be minimal.

In studies of acute responses to the inhalation of
secondary air pollutants, it is not possible to identify a
nonexposed (control) population. On the other hand,
the concentrations of the secondary pollutants have
large temporal variations. There are both diurnal
variations, with peak concentrations generally occur-
ring in the afternoon, and day-to-day variations in
concentration associated with the trajectory of the air
mass over pollutant-precursor source areas, atmos-
pheric stability, intensity of incident solar radiation,
temperature, and humidity. Thus, the volunteer sub-
jects are exposed to different concentration profiles
each day.

Population-based Studies of Chronic Health Effects

Neither controlled human exposure studies in the
laboratory nor natural human exposure studies in the
field can provide any direct information on chronic
effects of prolonged human exposures to O3. The only
way to get such information is to compare group-
average measures of function, symptom frequency,
lost activity days, hospital admissions, clinic visits,
medical diagnoses, etc. with estimates of area-wide
chronic exposure intensity.

Because of the large number of possible confound-
ing factors and the difficulty of properly classifying
exposures, very large populations must be studied in
order to find significant associations between group-
average exposures and effects. Any statistically signif-
icant effects that are attributed to O3 would tend to be

underestimated because of the influence of the con-
founding factors. Alternatively, they could be spurious
if the effects are really caused by variables that are
colinear with O3.

Controlled Exposures of Laboratory Animals

The most convenient and efficient way to study
mechanisms and patterns of response to inhaled O3,
and of the influence of other pollutants and stresses on
these responses is by controlled exposures of labora-
tory animals. The transient functional responses to
acute exposures canbemeasured and the differences in
response among different animal species and between
them and humans similarly exposed can be deter-
mined. Responses that require highly invasive proce-
dures or serial sacrifice can also be obtained to gain
information that cannot be obtained from studies on
human volunteers. Finally, long-term exposures in
animals can produce cumulative responses that deter-
mine the pathogenesis of chronic disease. Other
advantages of studies on animals are the ability to
examine the presence of and basis for variations in
response that are related to age, sex, species, strain,
genetic markers, nutrition, the presence of other
pollutants, and so on. As in controlled human expo-
sure studies, the concentrations and durations of the
exposure can be tightly controlled, as can the presence
or absence of other pollutants and environmental
variables. Another important advantage of controlled
animal studies is that relatively large numbers of
individuals can be exposed simultaneously, creating
the possibility of detecting responses that affect only a
limited fraction of the population.

Among the significant limitations to the use of
exposure–response data fromanimal studies in human
risk assessments is our quite limited ability to interpret
the animal responses in relation to likely responses in
humans who might be exposed to the same or lower
levels. Controlled chronic exposure protocols can be
very labor-intensive and expensive, which tends to
limit the number of variables that can effectively be
examined in any given study.

Effects of Single Exposures to Ozone

Respiratory Mechanical Function Responses

There are more data on respiratory function responses
than on any of the other coincident responses to short-
term O3 inhalation. It is well established that the
inhalation of O3 causes concentration-dependent
mean decrements in exhaled volumes and flow rates
during forced expiratory maneuvers, and that the
mean decrements increase with increasing depth of
breathing and the duration of the exposure. There is a

OZONE / Surface Ozone (Human Health) 1657



wide range of reproducible responsiveness among
healthy subjects and functional responsiveness toO3 is
no greater, and usually lower, among cigarette smok-
ers, older adults, and patients with chronic obstructive
pulmonary disease (COPD).

Healthy children at summer camps with active
outdoor recreation programs had greater decrements
in lung function than children exposed to O3 at
comparable concentrations in chambers for 1 or 2 h.
Furthermore, their activity levels were considerably
lower than those of the children exposed in the
chamber studies while performing very vigorous
exercise. Since it is well established that functional
responses toO3 increasewith levels of physical activity
and ventilation, the greater responses in the camp
children had to be caused by other factors, such as
greater cumulative exposure, or by the potentiation of
the response to O3 by other pollutants in the ambient
air.

One study of children with moderate to severe
asthma was performed at a summer camp in New
England, and the decrements in peak expiratory flow
rates associated with ambient O3 concentrations were
similar in magnitude to those reported for healthy
children at other summer camps in the north-eastern
United States.However, the level of physical activity of
the asthmatic children, and hence their O3 intake, was
much lower. Also, the asthmatic children had less
reserve functional capacity. Thus, the level of health
concern for such comparable functional decrements is
much greater.

Field studies have also been done of functional
responses of adults engaged in relatively brief (B0.5 h)
recreational activities outdoors in the presence of
varying levels of O3. The magnitudes of the functional
decrements per unit of ambientO3 concentrationwere
similar to those observed in volunteers exposed while
exercising vigorously for 1 or 2 h in controlled
chamber exposure studies.

The observations from the field studies in the
children’s camps stimulated the EPA Clinical Studies
Laboratory in Chapel Hill, NC, USA to undertake a
chamber exposure study of adult male volunteers
involving 6.6 hofO3 exposure.Moderate exercisewas
performed for 50min per hour for 3 h in the morning
and again in the afternoon. The functional decrements
become progressively greater after each hour of
exposure. The effects were transient in that there
were no residual functional decrements on the follow-
ing day. The decrements in FEV1 after 6.6 h of
exposure to O3 concentrations of 120 parts per billion
(ppb) averaged 13.6% and were comparable to those
seen previously in the same laboratory on similar
subjects following 2 h of intermittent heavier exercise
at B220 ppb. Follow-up studies were done on adult

males with 6.6 h exposures at 80 and 100 ppb, as well
as at 120 ppb. Those at 80 and 100 ppb showed lesser
changes that also became progressively greater after
each hour of exposure.

Evidence of the time scale for the biological
integration of O3 exposure can also be deduced from
the rate at which the effects dissipate. In one study,
young adult females were exposed in a protocol that
produced a mean decrement in FEV1 of 21%. After
18 h, their mean decrement was down to 4%, and at
42 h it was 2%.

The time scale for the biological integration of the
effects of a single O3 exposure has also been examined
in studies on laboratory animals. Rats can provide a
good test model for the observed human responses to
O3, even though they are a less sensitive species than
humans. The lesser responses are consistent with the
lesser retention of inhaled O3 by rats.

The large interindividual variability of O3-induced
functional responses is not yet understood, and func-
tional responses in individuals do not correlate well
with other responses. Based on the large database
accumulated over a 10-year period at the EPAClinical
Studies Laboratory, O3 concentration explained 31%
of the variance in FEV1 responses, and subject age
explained only another 4%. For individuals exposed
two or more times for 6.6 h, 47% of those exposed to
120 ppb had an FEV1 decrement of 10% or greater.
Respiratory function effects can accumulate over
many hours, and an appropriate averaging time for
transient functional decrements caused byO3 isB6h.
Thiswas amajor factor for the change in the averaging
time for the primary O3 standard in the United States
from 1 to 8 h. Another factor was the recognition that
O3 exposures in ambient air can have broad peaks
with 8-hour averages equal to B90% of the peak 1-
hour averages.While there is a great deal of knowledge
about O3 exposure–respiratory function response in
humans, as summarized above, we still know very
little about the mechanisms responsible for the
responses.

Effects on Aerosol Dispersion

As discussed above, acute exposures of humans to low
levels ofO3 cause decreases in lung function.However,
there is also a potential for small-airways responses
that do not produce measurable changes in conven-
tional respiratory function indices. In tests of aerosol
dispersion, an aerosol bolus is injected into the tidal
breath at three different depths, and the primary
measure of bolus dispersion is the expired bolus half-
width (HW). The HW increased significantly follow-
ing O3 exposure relative to air exposure at all depths
and was only weakly correlated with spirometric
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measures, accounting for less than 25% of the
variance. Changes in aerosol dispersion seen with O3

exposure were related to changes in turbulent mixing
and/or regional time constants in the small airways,
suggesting a possible O3 effect in that region of the
lung as well as effects in the larger airways that
produce the respiratory function decrements.

Symptomatic Responses

Respiratory symptoms have been closely associated
with group mean pulmonary function changes in
adults acutely exposed in controlled exposures to O3

and in ambient air containing O3 as the predominant
pollutant. In controlled 2-hour O3 exposures, some
heavily exercising adult subjects experienced cough,
shortness of breath, and pain on deep inspiration at
120 ppb O3, although the group-mean response was
statistically significant only for cough. Above 120 ppb
O3, respiratory and nonrespiratory symptoms have
included throat dryness, chest tightness, substernal
pain, cough, wheeze, pain on deep inspiration, short-
ness of breath, dyspnea, lassitude, malaise, headache,
and nausea. The prolonged exposure studies involving
6.6 h of exposure at concentrations between 80 and
120 ppb also produced significant increases in respi-
ratory symptoms including cough and pain on deep
inspiration. Although O3 causes symptomatic re-
sponses in adults at current peak levels, there is a
large set of data indicating that such responses do not
occur in healthy children.

These laboratory results are consistent with the
results obtained in field studies of healthy children at
summer camps, which failed to find any symptomatic
responses despite the occurrence of relatively large
decrements in function that were proportional to the
ambient O3 concentrations.

Epidemiological studies have provided evidence of
qualitative associations between ambient oxidant
levels4100 ppb and symptoms in children and young
adults, such as throat irritation, chest discomfort,
cough, and headache. Symptoms reported in individ-
uals exposed to O3 in purified air are similar to those
found for ambient air exposures except for eye
irritation, a common symptom associated with expo-
sure to the ambient mixtures of photochemical
oxidants, which has not been reported for controlled
exposures to O3 alone.

Morbidity

Associations between ambient air pollutants and
respiratorymorbiditywere examined using theHealth
Interview Survey (HIS), a large cross-sectional data-
base collected in the United States by the National
Center for Health Statistics. The results indicate an

association between fine particulate pollutants and
both minor restrictions in activity and respiratory
conditions severe enough to result inwork loss andbed
disability in adults. Ozone, on the other hand, was
associated only with the more minor restrictions.

Studies examining associations between the daily
average concentrations of ambient air pollutants and
daily hospital admissions for respiratory disease have
found consistent associations in summer between
hospital admissions for respiratory disease and daily
levels of sulfate, O3, and temperature, but no compa-
rable associations for a group of nonrespiratory
conditions. The effect of ambient O3 on hospital
admissions for respiratory causes ranges from 1 to 3
total respiratory admissions per day per 100 ppb O3

per106persons,or fromarelativeriskper100ppbO3of
1.1 to 1.36.

Another index of respiratory morbidity in asthmat-
ics is physician-authorized use of medication. In the
previously cited study of children with moderate to
severe asthma, the camp physician authorized supple-
mental asthmamedication to children in the group at a
rate proportional to the ambient O3 concentration.

Effects on Athletic Performance

It has been more than four decades since epidemio-
logical evidence from Southern California suggested
that the percentage of high-school track team mem-
bers failing to improve performance increased with
increasing oxidant concentrations in the hour before a
race. The effects may have been related to increased
airway resistance or to associated discomfort, which
may have limited motivation to run at maximal levels.
Subsequent controlled exposure studies of heavily
exercising competitive runners have demonstrated
decreased function at 200–300 ppb.

There are animalmodels for decreased performance
during O3 exposure. Rats and mice were exposed for
6 h to O3 at 80, 120, 250, or 500 ppb while housed in
runningwheels.Running inboth species decreased in a
concentration-related manner during exposure to O3,
with the decrease being greater with increasing time of
exposure. The decrease in running activity produced
by O3 persisted for several hours after exposure.

Effects on Airway Reactivity

Exposure toO3 can also alter the responsiveness of the
airways to other bronchoconstrictive challenges as
measured by changes in respiratory mechanics. Tests
involving exposures of healthy subjects to 80, 100 and
120 ppb for 6.6 h produced, respectively, 56%, 89%
and 121% increases in methacholine responsiveness.
Increased responsiveness to methacholine was also
seen with 1 h at 350 ppb in young adult males with
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allergic rhinitis after exposure to O3. In subjects with
asthma, changes in FEV1, methacholine responsive-
ness, and allergen responsiveness did not correlate
with each other.

The O3-induced responsiveness does not appear to
be dependent on the presence of inflammatory cells in
the small-airway wall.

Effects on Airway Permeability

The effects of inhaled O3 on respiratory epithelial
permeability were studied in healthy, nonsmoking
youngmen exposed for 2 h to purified air and 400 ppb
O3while performing intermittent treadmill exercise at
67Lmin�1. Seventy-five minutes after the exposures,
the pulmonary clearance of a radioisotope-labeled
organic molecule, [99mTc]DTPA, was measured as an
indexof epithelial permeability.O3 exposure sufficient
to produce decrements in the respiratory function of
human subjects also caused an increase in permeabil-
ity. An increased permeability could facilitate the
uptake of other inhaled toxicants and/or the release of
inflammatory cells such as neutrophils onto the airway
surfaces.

Effects on Airway Inflammation

O3-induced airway reactivity to methacholine is also
associated with neutrophil influx into the airways and
with changes in cyclooxygenase metabolites of ara-
chidonic acid. Inflammatory and biochemical changes
in the airways also occur following O3 exposure. The
inflammatory process caused by O3 exposure is
promptly initiated and persists for at least 18 h. Cells
and enzymes capable of causing damage to pulmonary
tissueswere increased, and the proteins that play a role
in the fibrotic and fibrinolytic processes were elevated
as a result of O3 exposure.

The weight of the evidence from these results,
showing both functional and biochemical responses in
humans and laboratory animals that accumulate over
multiple hours andpersist formany hours or days after
exposure ceases, is clear and compelling. Both func-
tional changes and inflammatory processes were
shown to occur in humans following exposures to
100 ppb O3 for 6.6 h, whereas higher concentrations
were required to elicit comparable responses in rats.
Thus, the rat data, which provide evidence of other
effects as well, appear to provide conservative indica-
tions of effects in humans.

Effect of Single and Multiday Exposures on Particle
Clearance from the Lungs

The effect of 2-hour exposures to 200 or 400 ppb O3

with intermittent light exercise on the rates of
tracheobronchial mucociliary particle clearance was

studied in healthy adult males. The 200 ppb O3

exposure produced a significant acceleration of par-
ticle clearance in peripheral airways but failed to
produce a significant reduction in FVC, suggesting
that significant changes in the ability of the deep lung
to clear deposited particles take place before signifi-
cant changes in respiratory function take place.

Effects of Single and Multiday Exposures on Lung
Infectivity

Both in vivo and in vitro studies in animals have
demonstrated that O3 can affect the ability of the
immune system to defend against infection. Increased
susceptibility to bacterial infection has been reported
in mice at 80 to 100 ppb O3 for a single 3-hour
exposure. Related alterations of the pulmonary de-
fenses caused by short-term exposures to O3 include
impaired ability to inactivate bacteria in rabbits and
mice and impaired macrophage phagocytic activity,
mobility, fragility and membrane alterations, and
reduced lysosomal enzymatic activity. Some of these
effects have been shown to occur in a variety of species
including mice, rats, rabbits, guinea pigs, dogs, sheep,
and monkeys.

Effects of Multiday and Ambient
Episode Exposures

Since single exposures lasting for an hour or more at
current peak ambient O3 levels produce measurable
biological responses in healthy humans, and since
there is a high probability that one high-O3 daywill be
followed by several more high-O3 days, it is important
to know the extent to which the effects accumulate or
progress over multidays. The data on functional
adaptation are largely, but not exclusively, based on
studies in human volunteers, whereas the database on
biochemical and structural changes caused by O3 is
based entirely on studies in laboratory animals.

It is well established that repetitive daily exposures,
at a level that produces a functional response upon
single exposure, result in an enhanced response on the
second day, with diminishing responses on days 3 and
4 and virtually no response by day 5.

For repeated6.6 h/day exposures to 120 ppbO3, the
peak functional response occurs on the first day, with
progressively lesser responses after the second, third,
and fourth days of exposure. However, for these same
subjects, their responsiveness to methocholine chal-
lenge peakedon the secondday, and remained elevated
throughout all five days of exposure. The persistent
elevation of airway responsiveness is one reason to
discount the view held by some that the functional
adaptation phenomenon indicates that transient
functional decrements are not an important health
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effect. Additional evidence comes from research in
animals showing that persistent damage to lung cells
accumulates even as functional adaptation takes
place.

Chronic Effects of Ambient Ozone
Exposures

The chronic effects database includes a quite limited
amount of information on human effects and a more
substantial volume of data on effects seen in labora-
tory animals undergoing chronic exposures.

Controlled Laboratory Exposure Studies:
Human Responses

A study in SouthernCalifornia provided evidence for a
seasonal adaptation of lung function. In this study, a
group of subjects selected for their relatively high
functional responsiveness to O3 had much greater
functional decrements following 2 h of exposure toO3

at 180 ppb with intermittent exercise in a chamber in
the spring than they did in the following fall or winter,
although their responses in the following spring were
equivalent to those in the preceding spring. These
findings suggest that some of the variability in acute
response coefficients reported for earlier controlled
human exposures to O3 in chambers could have been
related to seasonal variations in responsiveness,
which, in turn, may be related to a long-term adap-
tation to chronic O3 exposure.

Epidemiological Studies

Recent reports of populations of children living in
SouthernCalifornia indicate that chronic air pollutant
exposures can affect lung development asmeasured by
growth in respiratory function. However, O3 was not
among the pollutants that correlated with lung devel-
opment. Rather, the effect was associated with partic-
ulate matter, NO2, and acidic vapors.

There was some limited evidence for chronic effects
of O3 based upon an analysis of pulmonary function
data in a national population study in 1976–80 – the
second National Health and Nutrition Examination
Survey (NHANES II). Using ambient O3 data from
nearby monitoring sites, a highly significant
O3-associated reduction in lung function was seen
for people living in areas where the annual average O3

concentrations exceeded 40 ppb.
A prospective study of a cohort of Seventh-Day

Adventists living in California reported an O3-associ-
ated increase in the number of men developing adult-
onset asthma, but not of women. It was suggested that
the effect in men may have been due to their greater
time spent out of doors and engaged in strenuous

activities that could have resulted in more O3

inhalation.
The limited evidence available to date for the effect

of O3 on longevity is also largely negative. A study
utilizing the Public Use Sample containing data on 2
million individuals in the United States obtained both
death certificate data andair pollutionnetworkdata in
eight regions of the United States. Highly significant
and consistent associations with mortality were found
for SO4

2� . Significant, but weaker and less consistent
associationswere seen for SO2 andCO.No significant
associations were seen for O3 or NO2.

Controlled Laboratory Exposure Studies:
Animal Responses

ThehighestO3dose is received at the acinus,where the
terminal bronchioles lead into alveolar ducts, and a
series of studies have shown that the effects of inhaled
O3 on lung structure are also greatest in this region.
Morphometric techniques selectively focused on this
limited region of the lung showed that significant
changes occurred in the alveoli just distal to the
terminal bronchioles in rats exposed for 12 h/day for 6
or 12weeks to 120 or 240 ppbO3. In both juvenile and
adult rats there were significant increases in the
numbers of alveolar type I and type II epithelial cells
and alterations in the interstitium and endothelium.
From physiological studies of rats that were simulta-
neously exposed, there were significant increases in
the vital capacity and end-expiratory volume that
suggested alterations in distensibility of the lung
tissue.

Studies at relatively low O3 concentrations have
also been done in monkeys exposed to O3 for 8 h/day
for 6 or 90 days to 150 or 300 ppb O3. Responses
included ciliated cell necrosis, shortened cilia, and
secretory cell hyperplasia with less stored glycoconju-
gates in the nasal region. Respiratory bronchiolitis
observed at 6 days persisted to 90 days of exposure.
Even at the lower concentration of 150 ppb O3,
nonciliated bronchiolar cells appeared hypertrophied
and increased in abundance in respiratory bronchioles.

For some chronic effects, intermittent exposures can
produce greater effects than those produced by a
continuous exposure regime that results in higher
cumulative exposures. Two groups of 7-month-old
male monkeys were exposed to 250 ppb for 8 h/day
either daily or, in the seasonalmodel, daily in alternate
months during a total exposure period of 18months.A
control group breathed only filtered air. Monkeys
from the seasonal exposure model, but not those
exposed daily, had significantly increased total lung
collagen content, chest wall compliance, and inspira-
tory capacity. All monkeys exposed to O3 had
respiratory bronchiolitis with significant increases in
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related morphometric parameters. Lung growth was
not completely normal in either exposed group. Thus,
long-term effects of oxidant air pollutants that have a
seasonal occurrence may be more dependent on the
sequence of polluted and clean air than on the total
number of days of pollution, and estimations of the
risks of human exposure to seasonal air pollutants
from effects observed in animals exposed daily may
underestimate long-term pulmonary damage.

Summary and Conclusions

The apparently reversible effects that have followed
acute exposures lasting from 5min to 6.6 h include
changes in lung capacity, flow resistance, epithelial
permeability, and reactivity to bronchoactive chal-
lenges. These effects may persist for many hours or
days after the exposure ceases. Repetitive daily expo-
sures over several days or weeks can exacerbate and
prolong these effects.

Most of the data available on transient functional
effects of O3 were obtained from controlled human
exposure studies and field studies of limited duration.
Such studies can provide information on chronic
pollutant effects only to the extent that prior expo-
sures affect the transient response to single-exposure
challenges. Furthermore, interpretation of the results
of such tests is limited by our generally inadequate
ability to characterize the nature and/or magnitude of
the prior chronic exposures. Most of the limited data
we have on the effects of chronic O3 exposures on
humans come from epidemiological studies.

Epidemiological studies offer the prospect of estab-
lishing chronic health effects of long-termO3 exposure
in relevant populations and offer the possibility that
the analyses can show the influence of other environ-
mental factors on responses to O3 exposure. On the
other hand, the strengths of any of the associations
may be difficult to establish firmly because of the
complications introduced by uncontrolled cofactors
that may confound or obscure the underlying causal
factors.

In terms of functional effects, we know that single
O3 exposures to healthy nonsmoking young adults at
concentrations in the range 80–200 ppb produce a
complex array of pulmonary responses including
decreases in respiratory function and athletic per-
formance, and increases in symptoms, airway reactiv-
ity, neutrophil content in lung lavage, and rate of
mucociliary particle clearance. Responses to O3 in
purified air in chambers occur at concentrations of 80
or 100 ppb when the exposures involve moderate
exercise over 6 h or more and require concentrations
of 180 or 200 ppbwhen the duration of exposure is 2 h
or less.Ontheotherhand,meanFEV1decrements45%

have been seen at 100 ppb of O3 in ambient air for
children at summer camps and for adults engaged in
outdoor exercise for only 0.5 h.The apparently greater
responses to O3 in ambient air may be related to the
presence of, or prior exposures to, acidic aerosols, but
further investigation of this hypothesis is needed.

Exposure over successive days of adult humans in
chambers to O3 at current high ambient levels leads to
a functional adaptation in that the responses are
attenuated by the third day, and are negligible by the
fifth day. On the other hand, a comparable functional
adaptation in rats does not prevent the progressive
damage to the lung epithelium. Daily exposures of
animals also increase other responses in comparison to
single exposures, such as a loss of cilia, a hypertrophic
response of Clara cells, alterations in macrophage
function, and alterations in the rates of particle
clearance from the lungs.

The plausibility of accelerated aging of the human
lung from chronic O3 exposure is greatly enhanced by
the results of a series of chronic animal exposure
studies in rats and monkeys. There is little reason to
expect humans to be less sensitive than rats or
monkeys. On the contrary, humans have a greater
dosage delivered to the respiratory acinus than do rats
for the same exposures. Another factor is that the rat
and monkey exposures were administered to confined
animals with little opportunity for heavy exercise.
Thus, humans who are active outdoors during the
warmer months may have greater effective O3 expo-
sures than the test animals. Finally, humans are
exposed to O3 in ambient mixtures. The potentiation
of the characteristic O3 responses by other ambient air
constituents seen in the short-term exposure studies in
humans and animals may also contribute toward the
accumulation of chronic lung damage from long-term
exposures to ambient air containing O3.

The lack of a more definitive database on the
chronic effects of ambientO3 exposures in humans is a
serious failing thatmust be addressedwith a long-term
research program. The potential impacts of such
exposures on public health deserve serious scrutiny
and, if they turn out to be substantial, strong corrective
action. Further controls on ambient O3 exposure will
be extraordinarily expensive and will need to be very
well justified.
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Introduction

The effects of ozone on vegetation were first demon-
strated in the Los Angeles basin in the 1950s. Since
then, extensive field and experimental research has
demonstrated thewider impacts of ozone on crops and
forests in North America and Western Europe. Since
ozone is not emitted directly into the atmosphere but is
formed by a series of complex reactions, some of
which are photochemical in character, localized hot-
spots of intense plant damage close to sources are not
typical of ozone; rather, high concentrations of ozone
are a regional-scale problem. During a photochemical
smog episode, a range of chemical species is formed,
but there is little doubt that ozone (O3) is by far the
most important in terms of effects on vegetation.
Although evidence exists of the effects of other
oxidants, such as peroxyacetyl nitrate and hydrogen
peroxide, on vegetation, these are of minor regional
significance compared with ozone.

It is important to emphasize that ozone is just one
environmental factor influencing vegetation and that
there are important interactions between ozone and
climatic factors, soil conditions, and pests and diseas-
es. Thus, any assessment of its impact on vegetation
needs to consider the pollutant in the wider environ-
mental context. Surface ozone is a global problem,
with evidence of a trend of rising background tropo-
spheric concentrations and increasing evidence of the
impacts of ozone on vegetation in Asia, Africa, and
Latin America. Analysis of ozone impacts in these
different regions, and of the potential impact of the
projected increases in background surface ozone

concentrations during the next century, must consider
interactions with varying climatic conditions.

This article aims to provide a summary of ozone
effects on vegetation. The first four sections provide an
overview of methods of investigation, of the key
mechanisms of damage, of the nature and significance
of variation in plant response, and of the relationships
between ozone exposure and plant response. This is
followed by three sections that provide more specific
information about ozone impacts on agriculture, on
forests, and on biodiversity. The article concludeswith
consideration of future impacts of ozone.

Methods of Assessing Ozone Impacts
on Vegetation

A range of methods have been used to study the
impacts of ozone on vegetation, ranging from con-
trolled laboratory chambers, which clearly link cause
and effect but do so under highly unrealistic condi-
tions, through to field observations, which provide no
certainty about the link between cause and effect.

The most important source of information on the
impacts of ozone on crop yield is the use of field
chambers, in which ozone exposures can be control-
led, either by filtration of ambient pollutants or by the
addition of ozone in temporal patterns that simulate
ambient concentration profiles. The most commonly
used type of chamber, the open-top chamber, provides
microclimatic conditions that are comparable to, but
not identical, to those outside, although the conditions
of forced turbulence in such chambers may lead to
high rates of ozone flux.

Open-top chambers have serious limitations when
considering the longer-term effects of ozone on tree
species or on biodiversity. One alternative method is
that of usingopen-air fumigation systems, inwhich the
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pollutant is released over outdoor plots; this allows
multiyear exposure of ecosystems under unmodified
climatic conditions. However, such systems cannot be
used to assess the effects of reducing ozone exposures.
The limited duration of any experiment on tree species
means that field observations may be the only feasible
way of assessing the impacts of ozone over decades.

Field observations have played an important role in
assessment of ozone effects on vegetation, especially
where concentrations are high enough to produce
characteristic visible symptoms of injury. Detailed
field studies in areas where ozone is present in high
concentrations, such as the San Bernadino mountains
in southern California, have provided valuable in-
sights into the long-term impacts on forest communi-
ties. Spatial and temporal associations between plant
response and ozone exposure are more difficult to
demonstrate in regions with lower concentrations,
because of confounding with climatic factors.

Mechanisms of Impact

Ozone has impacts at different levels of organization,
from the cellular to individual organs and plants, thro-
ugh to plant communities and ecosystems (Figure 1).
There is little evidence that ozone deposition to
external plant surfaces has any adverse effect; rather
it is the flux of ozone through the stomatal pores into
the intracellular leaf spaces that is important. Within
the leaf, the primary site of damage is thought to be the
cell membrane, either directly due to ozone or
indirectly due to secondary radical species formed by
reactions with organic molecules within the leaf.
There is evidence that antioxidant systems within the
leaf can reduce the impact of ozone. In particular, the
levels of ascorbate, and other antioxidants, in the cell
wallmaybe critical in reducing the flux ofmolecules of
ozone or secondary free radicals to sites of damage in
the cell membrane. There is clear evidence that
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to roots
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ground:
    root growth

Biochemical
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    shoot
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Figure1 Simplifieddiagramof the impact of ozoneondifferent functional processeswithin a tree. (FromBortierK,CeulemansR, andde

Temmerman L (1999) Effects of tropospheric ozone on woody plants. In: Agrawal SB and Agrawal M (eds) Environmental Pollution and

Plant Responses, pp. 153–182. Boca Raton: Lewis Publishers.)
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exposure to ozone can result in upregulation of
antioxidant systems in the plant through effects on
gene expression, although the signal pathway for
induction remains uncertain.

At high concentrations, damage to the cell mem-
brane induced by short-term exposure to ozone can
cause cell collapse, leading to visible leaf injury.
However, such visible damage may not necessarily
lead to reduced growth or yield, because of compen-
satory mechanisms within the plant. The most impor-
tant long-term effect of ozone exposure is a reduction
in net CO2 fixation as a result both of reduced
photosynthetic activity and of increased rates of
respiration, which are associated with maintenance
and repair of damaged tissue. Ozone frequently
accelerates the rate of leaf senescence, which in turn
reduces the period of leaf growth with a positive
carbon balance. The reduced carbon assimilation can
lead to reduced growth rates and reduced agronomic
yields, depending on the allocation of carbon to
different plant organs, which has also been shown to
be affected by ozone. For example, the rate of
production of new leaves is accelerated in some species
in response to ozone stress, thus allowing the main-
tenance of growth rates, but at the expense of carbon
allocation to, and growth of, the root system and of
storage organs.

Since ozone flux from the atmospheric boundary
layer into the leaf is the critical factor for adverse
effects on vegetation, environmental factors that
influence this flux may modify ozone impacts. Under
most conditions, the most important factor control-
ling ozoneflux is the stomatal conductance of the plant
canopy; thus, high vapor pressure deficits or high soil
moisture deficits, which are often associatedwith high
ozone concentrations, tend to reduce ozone impacts.
Likewise, elevated CO2 concentrations tend to reduce
the adverse effects of ozone, primarily because of
reduced stomatal conductance.

Interspecific and Intraspecific
Variation in Sensitivity

The mechanisms of ozone impacts involve physiolog-
ical, anatomical, and biochemical factors that vary
between species, and it is long established that there is a
large variation between species in their response to
ozone. Historically, the extent of visible injury in short-
term experiments has been used to classify species
sensitivity toozone.However, comparisonsbothwithin
and between species suggest that species rankings based
on visible injury are often quite different from those
based on long-term growth responses.

There is also evidence for considerable genetic
variation in sensitivitywithin species. For crop species,

the difference in sensitivity between cultivars may
reflect inadvertent selection in the breeding process.
There is little evidence that modern crop cultivars,
bred under greater ozone concentrations, are more
tolerant of ozone. Indeed some data suggest the
opposite; for example, modern Greek wheat cultivars
are reported to be more sensitive than those bred
earlier in the century, possibly because characters that
are associated with higher yield potentials are also
associated with higher ozone sensitivity.

Outside the agronomic environment, natural selec-
tion may be operating to favor more ozone-tolerant
genotypes in areas with higher ozone exposures. The
evolution of tolerance to other pollutants, such as
toxicmetals and sulfur dioxide, is well established, but
there is less empirical evidence for ozone. One of the
most convincing studies is that on common plantain,
in which the ozone tolerance of populations collected
from different locations within the United Kingdom
and continental Europe increases with increased
ozone exposure at the point of collection (Figure 2).
However, this is correlative rather than causative
evidence.

Exposure–Response Relationships

An essential component of any assessment of the
regional impacts of ozone is the relationship between
ozone exposure and plant response. A major issue in
defining exposure–response relationships for the cu-
mulative effects of ozone over one or more growing
seasons is the method used to summarize the seasonal
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ozone exposure. Different exposure indices have been
devised, describing different components of the sea-
sonal ozone exposure, often giving higher weights to
periods with higher concentrations, which are as-
sumed to have a greater biological impact.

For annual crops, the main approach has been to fit
statistical relationships between seasonal ozone expo-
sure and final crop yield, based on experimental data.
The first national program to determine exposure–
response relationships for crops was the US National
CropLossAssessmentNetwork (NCLAN),whichwas
established in the late 1970s and examined 10 crops,
representing 85% of the cropped area of the United
States. The experimental studies involved a standard
design of open-top chambers, with a range of ozone
concentrations in each experiment to generate rela-
tionships between ozone exposure and crop yield.
Ozone exposurewas initially expressed as the seasonal
mean ozone concentration for the 7 hours between
09.00 and 16.00, the period during which ozone was
added in the early NCLAN experiments. For a
seasonal 7-h mean ozone concentration of 50 ppb
(parts per billion by volume; 10�9), estimated yield
reductions for the most sensitive crops, such as
soybean and cotton, exceeded 10%; for winter wheat
they were slightly under 10%; and for the most
tolerant crops, such as rice, barley, and sorghum, they
were below 5%.

InWesternEurope, a similar experimental approach
was applied to a smaller number of crops. A new
cumulative seasonal ozone exposure index was devel-
oped, termed the AOT40, which sums the positive
differences between hourly mean ozone concentra-
tions and 40 ppb during all daylight hours over the
growing season. The use of this index allowed a
common exposure–response relationship to be fitted
to spring wheat data from experimental studies in
six different countries (Figure 3), with a 10% yield
loss corresponding to an AOT40 value of about
5000 ppb h.

However, caution is needed in interpreting these
exposure–response relationships. In open-top cham-
ber exposure–response experiments, ozone is added
simultaneously in all treatments under the same
atmospheric conditions. When the impacts of ozone
in different locations are compared, the different
climates may modify the impacts of ozone. For
example, a recent analysis of experimental data for
wheat in Italy suggests that the slope of the exposure–
response relationship is smaller than that in Figure 3,
which is derived from studies in central and northern
Europe. Although the highest ozone concentrations
have the greatest impact under experimental condi-
tions, statistical analysis suggests that under field
conditions it is not necessarily the highest ozone

concentrations that are most significant. This may be
because the highest ozone concentrations tend to
occur under meteorological conditions that limit
ozone flux into the plant, both because of the high
resistance across the atmospheric boundary layer and
high vapor pressure deficits.

Accordingly, rather than relate plant response to
external ozone concentrations or exposure indices, it is
mechanistically preferable to use the estimated flux of
ozone into the leaf. In theory, it is possible to develop a
unified mechanistic model of ozone response based on
the different components of the ozone pathway from
the bulk troposphere to the site of damage inside the
leaf, incorporating the capacity of defense mecha-
nisms to detoxify the incoming ozone flux. However,
application of this approach still requires extensive
development and parameterization of appropriate
models.

Interpretation of exposure–response relationships
for a given species also needs to consider the implica-
tions of intraspecific variation in sensitivity. The
significance of this variation is illustrated by a study
of the role of genotypic variation in responses of the
ozone-sensitive North American tree species loblolly
pine (Figure 4). The threshold concentration and
exposure duration for effects on the population mean
are comparable to current annual ozone exposures in
the parts of the southern United States where this
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species is grown commercially. In contrast, the thresh-
old for effects on the most sensitive cohorts is well
belowcurrent ozone exposure and ismore comparable
to that at the beginning of the last century.

Effects on Agriculture

Visible foliar injury to crop species has been reported
in the field onmany occasions since the first confirmed
reports in the late 1950s in the United States. These
include damage to crops such as tobacco, in which
there is a direct economic loss because market value is
dependent on their visible appearance. Table 1 pro-
vides a list of crop species for which documented
evidence of visible injury in the field following
episodes of high ozone concentrations has been
obtained in Europe, to indicate the potential range of
affected species.

There have been many experimental studies to
demonstrate the significant impact on crop yield of
ozone exposures in western Europe and north Amer-
ica. The exposure–response studies described in the
previous section have been integrated with databases
on crop distributions and ozone concentrations to
assess the benefits to agriculture of measures to reduce
ozone concentrations. In the United States, exposure–
response data were combined with an econometric
model to determine effects on crop prices, and to

estimate that a national decrease in ozone concentra-
tions in the United States of 40% would provide a net
annual economic benefit of $3000 million, or 2.8% of
national production. A similar recent exercise in
Europe estimated that reducing current ozone expo-
sures to an AOT40 of 10 000 ppb h would have direct
economic benefits to agriculture of about h2000
million annually. Such national or international esti-
mates disguise the much greater losses in particular
crops and regions. For example, yield losses due to
ozone levels in the 1980s in California were estimated

Table1 Commercial agricultural andhorticultural cropsonwhich

visible symptoms of ozone injury have been detected in Europe

(adapted from reports of the International Cooperative Programme

onEffects of Air Pollution andOther Stresses onNon-WoodPlants

and Crops)

Alfalfa Leek Radish

Artichoke Lettuce Soybean

Bean Muskmelon Spinach

Beetroot Onion Sunflower

Chicory Parsley Tobacco

Clover Peach Tomato

Corn Peanut Watermelon

Cotton Pepper Wheat

Courgette Potato

Grapevine Pumpkin
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to be in the range 20–25% for sensitive crops such as
cotton, bean, and onions, an order of magnitude
higher than the overall national estimate.

Such estimates have many uncertainties, including
the regional representivity of the exposure–response
functions. They ignore the possible indirect effects of
ozone through altered pest and pathogen damage;
ozone has been shown to have both positive and
negative effects on the prevalence of pests anddiseases.
Several major systemic pesticides, such as benomyl,
reduce the impacts of ozone, and this may be a
significant factor in the field. The estimates also ignore
effects on crop quality; for example, ozone has been
shown to reduce the oil content of oilseed rape seeds,
in addition to seed yield, producing a significant
additional economic loss for the producer. Finally, the
estimates ignore the importance of the timing of ozone
episodes. In soybean, kidney bean, and dry bean, for
example, studies suggest that exposure during pod
filling has a greater effect than exposure during earlier
growth stages, while in wheat it appears that the
period between anthesis and grain filling is the most
sensitive. In summary, these estimates can provide
only an approximate guide to the possible regional
economic significance of ozone.

The effects of ozone on managed pastures have
received relatively little attention compared with
effects on arable crops, despite their economic impor-
tance. Ozone exposure consistently reduces clover
biomass in grass–clover swards, while regular cutting
enhances this process, probably because of the reduced
capacity for regrowth of clover exposed to ozone. The
reduction of the clover component of pastures will
reduce nitrogen fixation and forage quality.

There is a paucity of field and experimental data for
crops outside Europe and north America. However,
these limited data suggest that theremay be significant
effects of ozone on agriculture in areas of Asia, Latin
America, and Africa with high emissions of ozone
precursors.Visible ozone injury has, for example, been
demonstrated on tobacco in Taiwan, on potato in the
Punjab region of India, on radish and turnip in Egypt,
and on bean in agricultural areas aroundMexico City.
Filtration experiments at the edgeof the city ofLahore,
in Pakistan, showed effects on the yield of local
varieties of wheat and rice of about 40%, at a
site where ozone is the dominant pollutant.
Experiments using ozone-protectant chemicals
have also indicated significant effects on the yield of
tomato in and aroundNewDelhi, on radish and turnip
yields at a rural site in the Nile Delta, and on bean
yields in the Valley of Mexico. Although no direct
evidence of adverse effects of ozone on crops in
mainlandChina is available, rural ozone levels in some
parts of the country exceed concentrations that have

been shown to affect yields of major crops in the
United States.

Effects on Forests

Visible foliar injury to forest species has been reported
in the field inEurope andNorthAmerica, especially on
sensitive deciduous species, such as poplar, ash, and
black cherry. The longer-term effects of ozone on
forest production can be explained primarily through
effects on photosynthesis and carbon allocation. In
several tree species, ozone has been shown to reduce
carbon allocation to the roots, both in the season of
exposure and in the following spring. In other species,
loss of older leaves due to ozone can be compensated
for by increased production of new leaves, or by
increased rates of photosynthesis in younger leaves.
The longevity of tree species means that the secondary
effects of ozone exposure on carbon allocation need to
be considered over a time frame of decades. This
longevity also raises difficult challenges in assessing
the regional impacts of ozone, because of the need to
relate experimental data from short-term studies with
young trees to long-term effects on mature forest
stands.

The use of physiological growth models with ozone
exposure data offers one solution to this challenge, as
several existingmodels of forest growth can readily be
adapted to assess the longer-term effects of ozone.
Applications of such models suggest that effects on
root growth, and interactions with soil moisture
status, may be key factors influencing long-term forest
responses to ozone. For example, Figure 5 shows
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model predictions for hardwood forests using ozone
and climatic data for the north-eastern United States.
These demonstrate that the relationship between
ozone exposure and modeled wood production is
strongly modified by soil water-holding capacity, with
a reduced effect of ozone on soils with a lower water-
holding capacity.

The area where the long-term impacts of ozone
stress on forest community composition has beenmost
intensively studied is in the mountains around Los
Angeles, where effects began to be observed in the
1960s. The dominant species of these mixed-conifer
forests prior to European settlement (ponderosa pine
and Jeffrey pine) are also the most sensitive species to
ozone. Both species have shown severe foliar ozone
injury and reduced needle longevity, which are asso-
ciated with reduced radial growth, or years with
missing growth rings. Trees affected by ozone aremore
susceptible to attack by bark beetles, which are often
the direct cause ofmortality; outbreaks of bark beetles
are associated with drought years. Regeneration in
these forests is now greater for species such aswhite fir,
which are more resistant to ozone. Current fire-
exclusion policies favor replacement of ponderosa
and Jeffrey pine bymore fire-sensitive species that also
happen to be more ozone-tolerant. This example
illustrates the complex interactions with management
practices, pest outbreaks, and climate that may influ-
ence the long-term impacts of ozone on forests.

In areas where ozone is a less significant stress,
studies have shown temporal or spatial associations

between ozone exposure and the growth of mature
trees.Analysis ofweekly radial stemgrowthof loblolly
pine in the eastern United States has shown that the
strongest predictor of growth is the interaction
between ozone and soil moisture, with the short-
termozone effect being greater in amoist year than in a
dry year. Over a longer period, the radial stem growth
over a 4-year period of beech trees at plots in
Switzerland showed a significant negative association
with ozone exposure (Figure 6). The wide scatter
around the fitted line reflects the effects of other factors
such as stand structure, nitrogen deposition, and soil
type.

Evidence of effects of ozone on forests outside
Europe and North America is very limited. The most
extensively studied area is the forests in mountain
areas outside Mexico City, where some of the highest
ozone concentrations in the world are now recorded.
Visible foliar symptoms are common in these areas on
pine species, sacred fir, and black cherry, while
dendrochronological analysis shows a growth decline
in the region since the early 1970s.

Effects on Biodiversity

For wild plants, effects on visible injury and growth
may not be the most significant impacts of ozone.
Instead, impacts on parameters that are more directly
related to the success of different species’ ecological
strategies need to be considered. Seed production is of
major ecological significance for annual species, but
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the extent to which seed output can be reduced by
ozone without affecting long-term population viabil-
ity is unknown. When species compete for below-
ground resources such as nutrients or water, the
responses to ozone of root growth and morphology
are critical. Furthermore, species may change their
growth patterns in different ways under ozone stress;
while ozone causes reductions in both vegetative and
reproductive biomass of comparable magnitude in
some species, others switch from vegetative to repro-
ductive growth, or vice versa. Likewise, root responses
to ozone can be comparable to, or very different from,
above-ground responses.

Many wild species, when grown alone, are as
sensitive to experimental ozone exposures as the
most sensitive crop species. However, these experi-
ments are of limited value in assessing the impact of
ozone on biodiversity in the mixed plant communities
found in the field. The few studies that have examined
the effects of ozone on intact communities suggest
that, while ozone exposure can reduce species diver-
sity, individual species of high ozone sensitivity can
actually benefit under ozone stress if competition for
other key resources, such as light or nutrients, is
reduced. While the potential impacts of ozone
on biodiversity are considerable, given the high
sensitivity of many species, it remains completely
unclear whether and where long-term ozone exposure
has resulted in species loss from particular
communities.

Future Perspectives

There is evidence from Europe and North America
that peak concentrations of ozone during photo-
chemical episodes have declined over the last two
decades, reflecting the effect of regional strategies to
control precursor emissions. However, there is also
evidence from many sites that, over the same period,
annual mean concentrations have increased. This is
believed to reflect an increase in global background
tropospheric concentrations as a result of increased
emissions of nitrogen oxides at a global scale. Models
based on Intergovernmental Panel on Climate Change
scenarios suggest that this increase in the global
background ozone concentrations will continue
through the current century.

Decreased peak ozone concentrations would be
expected to reduce the extent of visible injury and
growth reductions caused to vegetation. However, the
impact of increased background concentrations in the
range 20–50 ppb is uncertain, as very few experimen-
tal studies have exposed plants to such ozone levels in
isolation from exposures above 50 ppb. Current risk
assessment tools, such as the AOT40 index, are poorly

designed to capture the impact of these changes
in ozone exposure patterns, and will need to be
revised. Furthermore, there are likely to be other
changes in exposure patterns of significance for
vegetation, such as greater increases in concentrations
in early spring relative to midsummer, and smaller
differences in exposure between remote areas and
those close to precursor emissions. There are thus
major challenges to adapting and extending our
current understanding of ozone impacts on vegetation
to assess the implications of these future trends in
ozone exposure.

However, outside North America and Europe, the
situationmay be different, with continued increases in
global background ozone concentrations being com-
bined with increased peak regional concentrations
where precursor emissions are high. Therefore, ozone
may have greater impacts on crops and forests in the
future in parts of Asia, Latin America, and Africa.
Globalmodels of the impacts of increased emissions of
nitrogen oxides on future ozone concentrations sug-
gest that the proportion of the world’s crops exposed
to ozone levels above threshold exposures for signif-
icant effects on yieldwill increase significantly over the
next two decades. Much of this increased area of
agricultural production at risk is likely to be in Asia.
The economic and social implications of widespread
loss of yield of staple crops could be very serious in
countries with rapidly increasing populations and loss
of productive land. Unfortunately, there is little
awareness, and little direct evidence, of the signifi-
cance of ozone impacts on agriculture in these areas.
There is an urgent need to extend current risk
assessment methods for ozone to these regions of the
planet, in order to link this issue more effectively with
wider policy evaluation.

Finally, any assessment of the future impacts of
ozone needs to be considered in the context of
projected changes in the global climate over the same
period. The impacts of any increase in ozone levels
may be offset to some extent by the increase in
atmospheric CO2 concentrations, but adverse effects
of global ozone concentrations on forest production
could reduce the size of the terrestrial carbon sink.
While drier and warmer conditions might reduce the
flux and short-term impacts of ozone episodes,
decreased root growth under ozone stress might
increase the impact of droughts. Large-scale climatic
change will also have dramatic effects on cropping
patterns, vegetation cover and species composition
that need to considered in evaluating the fut-
ure impacts of ozone. Closer integration of assessment
of ozone impacts on vegetation with regional
assessments of global climate change would be
beneficial.
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Glossary

Anthesis Flowering.
AOT40 The long-term cumulative exposure above a
concentration of 40 ppb, calculated as the sum of
the differences between the hourly mean concen-
tration and 40 ppb, for each hour when the concen-
tration exceeds 40 ppb.

Cell membrane The external membrane that covers
the surface of all cells.

Cultivar A genotype that has been actively selected in
plant breeding.

Dendrochronological analysis A method of con-
structing the growth history of a tree through
analysis of its growth rings.

Econometric model A model to simulate changes in
crop prices in response to varying supply and
demand.

Exposure The pollutant concentration over a given
period on the exterior of the plant.

Flux The rate of entry or exit of pollutant molecules,
per unit leaf area.

Genotype The genetic constitution of an organism.
Induction The process through which the activity of
particular genes is increased.

Intercellular spaces Air-filled parts of the leaf that lie
between cells.

Photosynthesis Synthesis of organic compounds from
water and carbon dioxide using energy absorbed by
chlorophyll.

Senescence The process of aging.
Stomata Small pores in the leaf surface throughwhich
exchange of carbon dioxide, water vapor, and trace
gases take place.

Stomatal conductance The inverse of the resistance to
the flux of molecules through the stomata, hence
defined as the flux divided by the difference in
concentration between the interior and exterior of
the leaf.

Systemic pesticide A pesticide that is applied to the
plant as awhole, rather than toa specific plantorgan.

Yield The harvested part of the plant (usually defined
as mass per unit ground area).

See also

Global Change: Ozone Trends. Ozone: Photochemistry
of Ozone; Role in Climate; SurfaceOzone (HumanHealth).
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Introduction

Ice cores drilled in glaciers and ice sheets are used to
investigate atmospheric chemistry, climate and glacier
dynamics in the past. Precipitation that falls as snow in
the polar regions, and at high altitudes in the tropical
and temperate regions, if it survives summer warmth,
is eventually transformed to glacier ice. Aerosols and
soluble gases that are scavenged from the atmosphere
by precipitation (wet deposition), or accumulate on
the snow surface as dry deposition, are preserved
within the ice. Atmospheric gases are also preserved in
the formof air bubbles trappedwithin the ice. Ice cores
are retrieved bymeans of amechanical or thermal drill
that cuts an annulus around a central, vertical core
that is typically 10–20 cm in diameter and a few tens
of meters to several thousand meters in length. If
the relationship between length along the core and
time in the past is known, time-series of atmospheric
composition can be derived. The best-known example
is the record of carbon dioxide from Antarctic ice
cores, which documents significant changes in con-
centration of this important greenhouse gas over the
last several hundred thousand years of Earth history.
Time-series have also been developed from ice cores
for many other trace gases and aerosol species,
and, indirectly, of atmospheric temperature, atmo-
spheric dynamics, solar variability, and marine and
terrestrial biogeochemical cycles. Because most
of this information is unavailable from any other
source, ice cores play a central role in our understand-
ing of paleoclimate. Data from ice cores also serve
as a baseline of natural variability against which
contemporary changes in the atmosphere may be
evaluated.

Glacier Ice and Ice Core Dating

Ice core studies are conducted at perennially cold sites
where little or no melting occurs. Examples include
Antarctica, the interior portions of Greenland, the
small ice caps of Arctic Canada, and the high moun-
tains of the Andes and the Himalaya. Under such
conditions, there is net snow accumulation in most
years, and a combination of mass loading and meta-
morphism leads to compaction of the snow and
eventual transition to glacier ice. Buildup of icemasses
reaches from hundreds of meters thick in alpine
settings to several kilometers in the great polar ice
sheets of Antarctica and Greenland. This buildup is
balanced by the slow deformation of glacier ice under
pressure. Flow by internal deformation and sliding
along the bed brings ice into warmer, lower-elevation
environments where it is lost to melting, sublimation,
or iceberg calving. Because of compaction and flow,
snow layers of original thickness l at the surface
become thinner with depth. The amount of time t for a
layer to reach depth z cannot generally be determined
directly, but can be estimated with a geophysical ice
flow model, used to calculate a thinning function
c ¼ lðz; 0Þ=lð0; �tÞ, if the net snow accumulation
rate

.
bð�tÞ is known. Ice core drilling sites are usually

chosen near an ice divide (analogous to a drainage
divide in hydrology), where the dominant strain
direction is vertical. This greatly simplifies the calcu-
lation of c, which in this case will be approximately
exponential. Under favorable circumstances, age and
layer thickness can be determined by direct visual
observation, using the alternating layering of coarse-
grained, dusty, and wind-packed summer snow and
relatively uniform winter snow. Counting of visible
annual layers and seasonal cycles in chemistry, cou-
pled with the identification of volcanic eruptions of
known age (using ash chemistry and sulfate concen-
tration anomalies preserved in the ice), allowed
researchers to determine the age–depth relationship
in cores from Summit, Greenland, to a precision
better than 2% for the last 10 000 years (10 ky)
and 5% for the last 50 ky. Precise determination
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of layer thickness and age also permitted the calcula-
tion of an accurate time series of accumulation
(Figure 1).

Typical snow densities at the surface of an ice sheet
are B300 kgm�3, increasing to B900 kgm� 3 a few
tens of meters below the surface. The zone of
intermediate density, referred to as the firn, is a
permeable layer through which atmospheric gases
canmove.As air channels in the firnbecome closedoff,
gases are isolated from the overlying atmosphere and
are eventually trapped as air bubbles. Bubble close-off
occurs at a density near 820 kgm� 3, which generally
corresponds to a depth of 60–100m. At a given depth,
the age of the gas trapped within the ice is always
younger than the ice itself because of advective and
diffusive transport within the firn. The amount of time
(eqn [1]) corresponding to the bubble-close-off depth
(COD) is a nonlinear function of snow accumulation
rate and temperature.

DageðzÞ ¼ ticeðzÞ � tgasðzÞ ¼ ticeðCODÞ ½1�

At high-accumulation sites like central Greenland
(
.
b4200 kgm� 2 y�1), Dage can be a few hundred
years or less. At Vostok Station in central East
Antarctica (

.
bo30 kgm� 2 y� 1), Dage is several thou-

sand years. Several Antarctic ice core records
have been dated indirectly by correlation with the
layer-counted Greenland records, using variations in
globally well-mixed trace gases as time markers
(Figure 2). The major source of error in this
cross-dating technique is uncertainty in the value of
Dage.

Stable Isotopes and Temperature

Time-series of past temperature change are obtained
from ice cores using the ratios of stable isotopes of
water. The major features of the global distribution of
water isotopes can be represented by a simpleRayleigh
distillation approximation of the hydrological cycle
thatworks particularlywell at high latitudes. Seasonal
variations in temperature (T) are reflected in the
18O/16O and D/H ratios of atmospheric water vapor
and precipitation according to nearly linear relation-
ships (eqns [2] and [3]).

dðd18OÞ
dT

¼ a ½2�

dðdDÞ
dðd18OÞ ¼ 8 ½3�

The average value of a is about 0.7%K� 1. (%5 parts
per thousand; d refers to the deviation in % from the
18O/16O or D/H ratio of a standard, usually Standard
MeanOceanWater).Where temperatures arewarmor
snow accumulation rates are low, diffusion of water
molecules within the firn layer will erase seasonal
cycles after a few years to decades. Annual and
interannual variations, however, are generally well
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preserved and provide a means of extending instru-
mental temperature records back in time. Regional or
global climate events such as theLittle IceAge between
c. AD 1400–1900, and the transition from the cold
temperatures of the last glacial period, about 20 ky
ago, to the current, Holocene interglacial period are
clearly seen in the isotopic time-series (Figure 3). Also
evident in Arctic ice cores are very rapid isotopic
changes, knownasDansgaard–Oeschger (D-O) events
after their discoverers. The calculation of temperature
from isotope ratios is based on the assumption that the
slope, a, of the d=T relationship is constant. Calibra-
tion of the isotope paleothermometer has been ac-
complished using spatial gradients on instrumental
time-series, and with paleotemperatures calculated
from measured temperatures in liquid-filled bore-
holes, using geophysical inverse methods. The

calibration results show that a varies by about a factor
of 2 over glacial–interglacial time scales because of
changes in the seasonality of precipitation, moist air
mass transport trajectories, and ocean surface condi-
tions.Where such changes can be quantified, d18O and
dDmay be considered reliable quantitative proxies for
past temperature change. Ocean surface conditions,
specifically, can be investigated using variations in
‘deuterium excess’, defined in

d ¼ dD� 8�d18O ½4�

Deviations of d from the averagemeteoric water value
of 10% reflect the difference in sensitivity to phase
changes of dDversus d18O. Ice core time series of d are
used to identify the ocean source areas for polar and
high-altitude water vapor, and to quantify changes in
evaporation temperature and humidity at those source
areas.

Trace Gases

Ice cores provide an essentially direct record of past
concentrations of atmospheric gases. Depending on
the magnitude of Dage, each gas sample analyzed
typically represents an average of a few hundred years.
Measurement of CO2 from Greenland ice cores has
been problematic because of the relatively warm
temperature and high carbonate content of the ice.
That CO2 records fromAntarctic ice cores are reliable
is demonstrated by the excellent agreementwith direct
atmospheric measurements during the period of over-
lap (Figure 4). Over long time scales CO2 is linearly
related (correlation coefficient, r2 > 0:7) to stable-
isotope records of air temperature (Figure 5). Natural
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variations over the last 420 ky remained within 180–
300 ppmv, well below the early twenty-first century
value of 4370 ppmv. Analysis of data from multiple
ice and ocean sediment cores indicates a lead of
temperature over CO2 of perhaps a few hundred years
for glacial–interglacial time scales. However, the
phase relationship appears to be nonstationary and
its average value remains poorly known because of
large uncertainties in Dage.

Concentrations of other atmospheric trace gases
such as methane (CH4) and nitrous oxide (N2O) show
long-term variations similar to those of CO2. Com-
parisons of records from ice cores in Antarctica and
Greenland allows determination of changes in the
interpolar gradients of these gases, which reflects
different biogenic production rates in the Northern
versus Southern Hemispheres. Methane additionally
shows rapid variations that correspond to the fast
warming and cooling of the D-O events observed in
d18O records. Measurements of 15N/14N, 40Ar/36Ar,
and 84Kr/36Ar ratios reveal the preservation of ther-

mally driven isotope ratio anomalies that permit
independent calculation of the magnitude of temper-
ature change and the value ofDage during these events.
The results indicate that some of the D-O warmings
were extremely rapid (411C/y) and of even larger
magnitude (415K) than would be predicted from
a � 0:7%K�1, and show that temperature leads CH4

by no more than a few decades.
Another important set of data obtained from ice

core air bubbles is the 18O/16O ratio of atmospheric
molecular oxygen (O2), reported as d18Oatm to distin-
guish it from d18O of ice. The primary control on
d18Oatm is the isotopic composition of average surface
ocean water (d18Osw), which in turn is determined to
first order by global ice volume – the amount of water
stored on land in the form of ice sheets and glaciers.
Time-series of d18Oatm from ice cores are used to tie ice
core chronologies to each other and to marine
sediment records of d18Osw. The connection between
d18Oatm and ocean water d18Osw is indirect, via
photosynthesis and respiration by phytoplankton;
there is a consequent variability in the lag between
d18Osw and d18Oatm, known as the ‘Dole effect’, of up
to B2000 years.

Aerosols and Soluble Gas-Phase
Species

The major ions present in most ice cores are Na1, H1,
Ca21, Mg21, Cl� , NO3

� and SO4
2� . Typical concen-

trations are at the ppb (10� 9) level. In coastal areas of
the polar ice sheets, Na1, Cl� , Mg21, Ca21, and
SO4

2� represent 480% of the ionic budget. Nitrate
and non-sea-salt sulfate dominate the budget at more
inland sites. All of these species showmajor variations
that parallel those in stable isotopes and trace gas
concentrations (Figure 6). Determining whether ob-
served changes in concentration reflect changes in wet
and dry deposition processes or real changes in
atmospheric mixing ratios can be problematic. For
example, a large fraction of the glacial–interglacial
change in SO4

2� concentrations probably reflects
dilution by the twofold increase in snow accumulation
rate at the beginning of the Holocene. The set of
transfer functions describing air-to-snow relationships
for all chemical species can be expressed as a formal
mathematical inverse problem. Because of the high
level of covariance in most ice core time-series, this
problemmust currently be considered under-termined
for most species. Nevertheless, significant changes in
atmospheric mixing ratios have clearly occurred and
are particularly large for terrestrially derived ions such
as Ca21.
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Increases in terrestrial species reflect increases in the
overall dustiness of the atmosphere due to enhanced
continental aridity and aeolian transport during cold
climate periods. This effect is amplified by increased
wind speeds and the consequent greater efficiency of
transport through the troposphere to the surfaces of
glaciers and ice sheets. Specific source regions for
continental dust have been identified through the use
of isotopic and rare-earth element analysis of mineral
grains preserved in the ice. Increased concentrations of
marine-derived species in ice cores reflect increases
both in transport efficiency and in biogenic production
rates. More than 50% of SO4

2� in inland Antarctic
snow is derived from the oxidation of dimethyl sulfide,
an algal waste product. The ratio of sulfate to
methanesulfonic acid, an intermediate oxidation
product that is preserved in the ice, has been used to
identify biogenic versus nonbiogenic sources of SO4

2� .
Changes in the biogenic contribution of SO4

2� are of
particular interest because of the role that sulfate
aerosols play in climate forcing via modification of
cloud radiative properties. Emissions from volcanoes
are an important source of SO4

2� concentration

anomalies in ice cores; comparison with the stable-
isotope record of temperature provides strong inde-
pendent evidence for the cooling effect of sulfate
aerosols. In central Greenland cores, time-series anal-
ysis shows that geochemical variations can be resolved
into two nearly orthogonal components that are
dominated by marine and terrestrial species, respec-
tively. The ratio of marine to terrestrial components is
believed to reflect variations in the relative strength of
meridional versus zonal tropospheric flow, possibly
related to changes in the strength of the polar vortex.

Species such as hydrogen peroxide (H2O2), hydro-
chloric acid (HCl), and nitric acid (HNO3), which
have an appreciable vapor pressure at ambient surface
temperatures, additionally complicate the interpreta-
tion of ice core geochemical records.While deposition
rates are controlled by kinetic processes in clouds and
at the snow surface, loss rates following deposition are
dominated by the tendency toward equilibrium with
the overlying atmosphere. Final concentrations ar-
chived in the ice core are determined by the extent to
which equilibrium is reached. The approach to equi-
librium depends on a combination of snow accumu-
lation rate, temperature and, for photoreactive
species, irradiance levels. Ambient oxidative condi-
tions determined by hydroxyl radical ð .OHÞ and ozone
(O3) mixing ratios also play a role. The measurement
of multiple reactive and nonreactive species and their
isotopic composition in ice cores offers a means for
obtaining quantitative information on the oxidizing
capacity of the atmosphere in the past.

Cosmogenic Radionuclides and
Geomagnetic and Solar Variability

Rare isotopes produced in the atmosphere by cosmic
rays, including 10Be, 26Al, 36Cl, and 14C, are all present
in ice cores in measurable concentrations. These
cosmogenic radionuclides (CRNs) are of interest as a
means to extend the record of geomagnetic and solar
variability beyond the instrumental andhistorical time
periods and as a source of information on snow
accumulation and atmospheric dynamics. Solar mod-
ulation of CRN production is reflected in variations in
concentration that have dominant periodicities at
B11 years and B90 years, and that closely track the
record of atmospheric 14C variations, independently
derived from tree-ring studies (Figure 7). Over longer
time scales, geomagnetic modulation may also be
important in affecting CRN deposition rates. Differ-
ences among records from Arctic, tropical, and Ant-
arctic ice cores can in principle be used to separate
solar and geomagnetic modulation of CRN produc-
tion, since the latter is unimportant at high latitudes.
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In practice, the difficulty of separating production
variations from meteorologically influenced changes
in deposition rate has prevented an unequivocal
geomagnetic record from being obtained from CRN
measurements. An exception is the large excursion
observed in 10Be and 36Cl in several ice cores, which
coincides with the Laschamp geomagnetic excursion
40 ky ago, when the field strength may have ap-
proached zero. Most other large changes in CRN
concentrations reflect changes in snow accumulation
rate. Assuming that production rates are approxi-
mately constant over time scales greater than those
expected from solar variability (i.e. 41000 years),
10Be can be used as an independent variable in
separating changes in atmospheric loading of other
aerosol species from changes in precipitation scaveng-
ing and dry deposition efficiency. The assumption of
constant production is reasonable in Antarctica,
where limited meridional air-mass exchange prevents
a significant amount of geomagnetically modulated,
low-latitude-produced 10Be from reaching the ice
sheet surface. Because significant CRN production
occurs in the stratosphere (about two-thirds of the
total production), CRN can also provide information
on past stratosphere/troposphere exchange processes.

This has been accomplished qualitatively, using the
magnitude of solar-modulated 10Be variations, and the
ratio of 36Cl to 10Be,whichhave different tropospheric
lifetimes, as tracers of air mass origin. Radiocarbon
(14C) is a special case of CRN in ice cores because the
predominant fraction is produced in situ by neutron
activation of 14N. Concentrations of 14CO and 14CO2

in air bubbles provide a determination of snow
accumulation rate that agrees well with independent
evidence.

The Causes of Ice Ages and Rapid
Climate Change Events

Geochemical time-series from ice cores have had a
profound influence on our understanding of climate
change. Particularly important is the opportunity
provided by ice cores to evaluate the characteristics
of paleoclimate time-series in the frequency domain.
The high-precision, independent dating achieved with
ice cores has allowed a more rigorous test of Milan-
kovich theory thanwas previously possiblewith ocean
sediment cores, and confirms that climate change
exhibits significant power at orbital frequencies. The
observation from the Vostok ice core that CO2 varies
approximately linearly with temperature addresses a
critical problem forMilankovich theory, which is that
the amplitude of solar insolation variations resulting
from Earth’s orbital changes is too small to alone
account for the largemagnitude of climate changes. At
least 50% of the required amplification of small
insolation changes over glacial–interglacial cycles can
be attributed to observed CO2 variations alone. The
d18Oatm record shows a strong coherence with preces-
sion (B23 ky period) supporting the proposed linear
relationship between orbital forcing and global ice-
sheet volume.

Ice core data also demonstrate that large-magnitude
climate changes have occurred in the past that are not
related to Milankovich forcing. Although there is no
evidence for rapid CO2 changes in the past (variations
originally identified in theGreenlandDye3 ice core are
now known to be artifacts), the D-O events clearly
reflect real, rapid changes in atmospheric composition
and dynamics. The D-O events are evident not only in
d18O and CH4 in Greenland ice cores, but also in dust
and aerosol concentrations, and have been identified
in ocean sediment cores from the North Atlantic
region, from chemical tracers of deep water circula-
tion, and from sea surface temperature. These events
recur throughout the last glacial periodwith a nominal
frequency of 1/1500 y� 1. There is considerable
variation in the length of this cycle: in most data sets
the spectral power of D-O events rises significantly
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above red noise only for bandwidths of several
hundred years. On average, every fourth D-O
event is associated with a coarse-grained ‘Heinrich’
layer in North Atlantic sediment cores. Heinrich
layers reflect the transport of debris by icebergs
from the margins of the ice sheets that covered much
of Europe and North America during the last glacia-
tion. Many paleoclimatologists believe that compar-
ison of paleoclimate records from both hemispheres is
a key to understanding the D-O events and their
association with ocean thermohaline circulation and
the dynamics of large ice sheets. Quasi-periodic
climate changes with comparable timing have been
identified in South American and Antarctic ice cores
and Southern Ocean sediment cores, but these are
generally smaller in amplitude and, with a few
exceptions, do not show the rapid warmings charac-
teristic of D-O events.

Natural Climate Variability and the
Anthropogenic Impact on the
Atmosphere

Ice core records provide an important baseline against
which anthropogenic changes to the atmosphere can
be measured. The high temporal resolution obtained
with ice core geochemical and isotopic measurements
has been used to extend records of the North Atlantic
Oscillation and other important climate indices be-
yond the short period available from instrumental
records.Arrays of ice cores covering the last 200–2000
years at annual resolution have been used to document
the spatial patterns of interannual variability of both
Arctic and Antarctic climate, for which instrumental
data are particularly limited. On longer time scales,
stable-isotope records show that temperatures during
the twentieth century were slightly cooler, on average,
than during the peak warm intervals of both the last
interglacial period (B125 ky ago) and the Holocene.
A mid-Holocene warm period is especially pro-
nounced in ice cores from northern Greenland and
the Canadian Arctic. The ice cores provide little
evidence, however, for temperatures as high as the
last two decades of the twentieth century having
occurred at any time in the past 100 000 years.
Similarly, ice core records show that the background
of natural variability in atmospheric chemistry is
large. However, increases in most chemical species in
the last 100–200 years appear to be unprecedented in
magnitude and rate of change. Particularly clear
signals of the anthropogenic impact on the chemistry
of the troposphere include the following examples. Ice
core measurements show that, relative to the AD 1900
value, concentrations of CH4 have doubled, CO2 has

increased by 25%, and N2O by 10%. In Northern
Hemisphere ice cores, SO4

2� concentrations increased
by more than a factor of 4 between 1900 and 1970.
This is in good agreement with the documented
increase in SO2 emissions from industrialized nations.
Northern Hemisphere ice cores also document an
overall decrease in SO4

2� since 1980, probably
reflecting abatement measures in the United States
and Europe. Nitric acid deposition has similarly
increased through most of the twentieth century and
continues to increase. About 50%of the currentNO3

�

deposited to Arctic snow can be attributed directly to
anthropogenic NOx emissions. Concentrations of
heavy metals in Northern Hemisphere ice cores have
increased since the late eighteenth century in parallel
with growth in use since the industrial revolution.
Isotopic studies have been used to identify source
regions for these contaminants and show that United
States emissions contributed about two-thirds of the
deposition of lead from the atmosphere over Green-
land until the late 1970s when the use of leaded
gasoline declined. Finally, analysis of ice cores from
several Arctic and temperate alpine locations shows
that deposition rates of organochlorine pesticides
remain at levels comparable to those of the 1970s
when production and use was much higher than at
present. The continued high concentration of these
compounds in Arctic snowfall likely reflects their long
residence times in soils.

See also

Anticyclones. Arctic Climate. Carbon Dioxide. Cli-
mate Variability:North Atlantic andArctic Oscillation. Ice
Ages (Milankovitch Theory). Land–Atmosphere In-
teractions: Trace Gas Exchange. Paleoclimatology:
Varves. Sea Ice. Snow (Surface).
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Introduction

Varves are laminated sediments formed annually in
aquatic environments by seasonal climatic changes.
Each varve is made of two thin, alternating light and
dark sedimentary laminae representing one year of
deposition (Figure 1). The coupling of varve sedimen-
tation with seasonality makes varved sequences useful
as high-resolution archives of climate. The geologist
de Geer first defined varves in the late nineteenth
century from glacial sediments in Sweden. He and his
students surveyed Swedish glacial lakes and found that
sediment thickness patterns correlated between adja-
cent lakes. From the regularity, continuity, and broad
distribution of the laminated sediments, he concluded
that their deposition was driven by a widespread,
regular, and strong forcing mechanism, i.e. annual
climate.

Varve Formation

Varves form in depositional basins characterized by
seasonal variation in sediment composition and by
low-oxygen bottom waters. Changes in sediment flux
result in laminae of alternating composition, while
low-oxygen waters prevent burrowing animals from
mixing the sediment and obliterating the laminated
structure. The two necessary conditions required for
the formation of varves are found in both fresh water
and salt water environments. In glacial lakes, for
example,meltwater carries fine sand, clay, and silt into
the lake along the glacier margin during spring and
early summer (Figure 2). Finer particles are kept
suspended in the water column during summer by
wind-driven currents, whereas coarser, heavier sedi-

ment falls to the lake floor. As ice melts, nutrients are
released into the lake, resulting in diatom blooms
during the productive spring season. The coarser
particles and the diatom frustules form a distinct light
layer in spring and early summer. During summer,

Figure 1 Contact prints of X-radiographs from two sediment

cores taken from the bottom of Santa Barbara Basin, off southern

California. Even though the cores were taken from different

locations within the basin, it is possible to cross-match varve

features (arrows).
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runoff from rain andmelting ice continues to transport
silt and clay into the lake. In winter, the lake freezes,
terminating terrigenous input, wind mixing, and
diatom growth. Without wind mixing, the fine clay
material falls out of suspension, is deposited, and
forms a dark sedimentary layer. In high-latitude lakes,
anoxic bottom waters are maintained by strong
thermal gradients that persist when the lakes are not
covered by ice. In lakes formed by drowned fiords
(tidewater lakes) the seasonally deposited laminae are
preserved because sills between the lake and open
ocean retain salt water at the lake bottom that is
covered by fresh water. The resulting density gradient
generates a strong pycnocline that prevents deep
mixing. High input of organic matter to the lake
bottom reduces the oxygen content enough to prohibit
animals from living and burrowing in the sediments.

Marine varves exist in temperate environments such
as fiords, marginal seas, silled basins, and other areas
of the continental shelf and slope where sediment
input is seasonal. Bottomwaters are anoxic because of
strong density gradients that prevent vertical mixing
(fiords and marginal seas) or because of the oxygen
minimum zone impinging on the ocean floor (silled
basins, continental shelf and slope) (Figure 3). In
regions of extraordinarily high biological production,
diatom mats or very large diatoms can preserve
laminae even in the presence of oxygenated bottom
waters. Dark layers of marine varves are typically
deposited by runoff of terrigenous material during the
rainy season. Aeolian depositsmay occasionally be the
source of lithogenic laminae, such as in varves depos-
ited off Baja California, Mexico. Light layers are
biogenic-rich sediments formed by siliceous diatoms
and/or calcareous coccolithophorids, or cyanobacte-

rial mats deposited during the productive spring and
summer seasons.

Varve Chronology

Varves are sampled using methods that preserve the
sediment fabric and recover the sediment–water
interface. That surface boundary provides the baseline
for isotopic and visual dating of the laminae, and is
therefore necessary for development of a varve chro-
nology. Both box cores and freeze-cores retrieve
sediments with the sediment–water interface intact.
Once the sediment is collected, the varves can be
impregnated with epoxy and cut into thin sections for
analysis. When analyses require separating varves
from one another for study ofmicrofossils or chemical
tracers, the sediment can be X-radiographed then
sliced into discrete varves.

Varves can be dated by visual counting and by
isotopic methods. X-radiography of sediment cores
greatly enhances varve boundaries and facilitates
varve counting. Accurate counts are complicated by
turbidites, i.e., sediment layers that represent an
abrupt event rather than a whole season. Turbidites
can be identified on X-radiographs by their interme-
diate color and frequently homogeneous texture. The
age of varves is also estimated by measuring concen-
trations of an unstable lead isotope, 210Pb. Knowing
the 210Pb radioactive decay rate and naturally occur-
ring concentration at the core surface, one can
measure the 210Pb downcore concentration, and use
that to infer sedimentation rate and varve chronology.
If the laminated sediments are truly varves, the age
profile based on isotopic dating should match ages
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determined by visual counting. The rapid decay of
210Pb limits its use to the past century or so.

False varves can result from an out-of-sequence
deposition of material. For example, a major storm
that produces significant runoff or an underwater
earthquake that generates a turbidity current during
the productive season will deposit a dark sublamina
within a light lamina. Conversely, an upwelling event
during winter that leads to a phytoplankton bloom
will generate a layer of biogenic (light) material within
a dark lamina. False varves can be identified by their
microscopic composition and internal structure in thin
sections, by mismatches between varve counts and
geochemical dates (210Pb) of the sediment, and by
cross-comparison among multiple core samples taken
from the same locality.

Paleovarves are lithified, alternating light–dark
laminae that suggest cyclic processes in geological
time. Lithified varves can be used to estimate climate

variability driven by temperature, precipitation, and
upwelling using modern analogs and by statistical
analysis of light and dark layer components. Lamina
thickness and composition reflect the intensity and
duration of the driving force just as in modern varves.

Paleoclimate Reconstruction

Knowledge of regional climatology and sedimentation
processes is needed to use varves for paleoclimate
reconstruction. For instance, the thickness of litho-
genic laminae in glacial lake varves can reflect precip-
itation amount or runoff, as dark layers may thicken
with higher rainfall or with warmer temperatures that
accelerate glacial melting. Deglaciation, shore
displacement, and climate change influence seasonal
changes in meltwater discharge that affect mineral
composition and thickness of varves formed in fresh

Varves
Anaerobic water

Sea level

Oxygen minimum
zone (OMZ)

Sill

(A)

Dissolved oxygen
(ml l−1)

0 7

(C)

Sea level

Varves

Salt water

Fresh waterSediment

Varves
Anaerobic water

Anaerobic water

Sea level

Oxygen minimum
zone (OMZ)

Dissolved oxygen
(ml l−1)

0 7

(B)

Sediment

Sediment

Figure3 Cross-sectional diagramsof coastal depositional environmentswhere varvesare typically found. (A) Silledmarine basin, such

asSantaBarbaraBasin (Figure1). Theoxygenminimumzone (OMZ) impingeson thesill andmaintainsanoxic conditionsat thebottomof

the basin. (B) Continental shelf and slope, such as the Arabian Sea. Given enough sediment input, varves accumulate in depressions

within theOMZ. (C) Drowned fiord/tidewater lake. Salt water at the bottomof the basin is overlaidwith freshwater, hence the large density

difference creates a strong pycnocline that prevents mixing and oxygenation of the deepest waters.

1682 PALEOCLIMATOLOGY / Varves



water lakes as glaciers retreat. Thick biogenic
layers suggest highly productive periods of
enhanced nutrient input, which in marine varves
can be associated with increased wind stress
and upwelling. Microfossil assemblages preserved
in the sediment, as well as geochemical and minera-
logical composition of the varves, are sensitive indi-
cators of past ecosystem production, water mass
circulation, and climate. Terrestrial particles, espe-
cially pollen, are also stored in the sedimentary
column, and have been used to estimate vegetation
changes, shifts in land use, aridity, and wind patterns
over time.

Developing Climate Proxies

Climate proxies from varves have been developed
using direct and indirect approaches. Sediment traps
provide a direct measurement of deposition flux for
lithogenic and biogenic components under specific
climate conditions. Sediment trap collections along
the west coast of North America indicate that
sediment flux during the rainy, stormy season is
dominated by lithogenic material carried into the
basin by river runoff, winds blowing across adjacent
deserts, or resuspension of shelf material by internal
waves. As the productive season progresses, a succes-
sion of phytoplankton assemblages comprise the light
biogenic laminae of varves. Knowledge of these
assemblages is useful for interpreting sedimentary
records. A phytoplankton sequence interrupted
by a lithogenic layer could suggest an unusual
storm event during the normal productive season.
And a lithogenic lamina laced with a thin biogenic
layer of a single assemblage may be interpreted as a
mixing event during an otherwise nonproductive
season.

An indirect approach is to compare time-series
derived from varved sediments to those of instrumen-
tal climate records. Climate histories can be construc-
ted from laminated sediments after calibration/verifi-
cation with instrumental observations. For example,
statistical relationships between microplankton spe-
cies and sea surface temperature records illustrate
which species occur during warm or cold periods. The
abundance of these temperature-sensitive species can
then be used as a proxy record of climate to extend
temperature series into pre-instrumental time. Anoth-
er indirect method of climate reconstruction is time-
series analysis of varve parameters. Relationships
between biogenic and lithogenic components can be
in phase or out of phase at different frequencies. Based
on knowledge of local, regional, and global processes,
these relationships may indicate climate variability on
annual to millennial scales.

Examples

Scandinavian Lakes

The climate of northern Sweden and Finland leads to
the deposition of varves in many lakes. The snowmelt
period is short, typically limited to the month of May,
and meltwater runoff deposits a lithogenic layer. The
biogenic layer is produced fromapproximately June to
September. This can be capped by a second lithogenic
layer if there is enough rain during the fall. A fine-
grained lithogenic layer is deposited in winter when
lakes are ice-covered and the water column is stable.
Pollen preserved in varves has been used to reconstruct
vegetation histories and varve thickness has been used
as a paleotemperature proxy.

Cariaco Basin, Venezuela

Sediments from the Cariaco Basin off the Venezuela
coast exhibit fine laminae in X-radiographs that have
been confirmed as varves by 210Pb dating. Varves
deposited during the Younger Dryas (about 10–11
thousand years ago) have thicker laminae. Increased
thickness of lithogenic laminae points to higher
terrigenous input either because of increased precip-
itation or because of changes in sea level and river
locations. The thicker light laminae indicate higher
biological productivity, which can result from greater
upwelling forced by intensified Trade Winds, and/or
fromupwelling ofwaterswith higher nutrient content.

Glacial Lake Hitchcock, North-eastern USA

A 4000-year varve record from Glacial Lake Hitch-
cock spanning 17 500 to 13 500 years ago reflects
glacial retreat, but also contains a temperature signal
related to El Niño. Varve thickness during the late
Pleistocene varied strongly in the 3–5-year bands,
revealing a teleconnection between the tropical Pacific
and North America.

Guaymas Basin, Gulf of California

Thin section analysis of varved sediments from
Guaymas Basin reveals a pattern of deposition with
three phases per varve that relate to different climate
conditions. The dark layer is a clay and silt laminawith
a minor component of diatom resting spores and
frustules. This is overlaid by a biogenic lamina with a
diverse diatom assemblage and little lithogenic mate-
rial. The third layer is comprised almost entirely of a
single diatom species, which changes depending on
climatic conditions at time of deposition. The first,
lithogenic layer reflects aeolian deposits from the Baja
California peninsula and Sonora Desert in late sum-
mer and fall when convective thunderstorms, hurri-
canes, and tropical storms are most common. The
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lithogenic laminae may also represent shelf particles
resuspended by tropical storms and hurricanes that
enter the gulf. In early winter, north-westerly winds
develop and cause wind-mixing and upwelling. Di-
atoms respond to the nutrient input with blooms
of the diverse assemblage present at the time,
and are deposited in the second, biogenic layer.
The overlying monospecific diatom layer is typically
comprised of Chaetoceros spp. resting spores depos-
ited at the end of the strongest upwelling period in
spring.

Marginal Seas

Isostatic uplift of marginal seas, such as the Baltic Sea
in the late Quaternary, cuts the seas off from open
ocean input. The saline water that remained in the
basin after uplift was dense enough to prevent over-
turning of the water. As sea level rose following
deglaciation, two-way circulation periodically oc-
curred between the Baltic Sea and North Atlantic
Ocean. Therefore, bottom waters were oxygenated
and seasonal deposition was not preserved in varves
because of bioturbation. However, varves were de-
posited during theQuaternarywhen effects of isostatic
uplift outweighed those of sea level rise. Today, the
balance between isostatic uplift and sea level rise has
resulted in primarily brackish conditions in the Baltic
Sea. Varves are currently forming in the deeper parts of
the basin.

Laminated sediments from another marginal sea,
the Black Sea, provide a record of sea level change.
Approximately 23 000 years ago the Black Sea con-
tained fresh water and was isolated from the Mediter-
ranean Sea. As sea level started to rise approximately
9000 years ago, sea water spilled into the basin, filling
the bottomof the basinwith dense salinewater under a
cap of fresh water. Wind-driven vertical mixing could
not overcome the resulting density gradient. Eventu-
ally, the bottom waters became anoxic and varves
formed. These conditions persisted until about 3000
years ago when sea level was high enough to maintain
open circulation between the Black and Mediterra-
nean Seas.

North-east Arabian Sea

Laminated sediments from the North-east Arabian
Sea along the India–Pakistan continental slope extend
through the past several thousand years. Ages assigned
by counting the laminae are consistent with radiocar-
bon dates, suggesting the presence of varves. Primary
production in the Arabian Sea is strongly driven by the
atmosphericmonsoonal circulation and is recorded by
the calcareous microfossils preserved in the sediment.

The dark layers of the varves reflect aeolian deposits
from the Baluchistan andThar deserts in the north and
north-east.

Saanich Inlet, British Columbia

Saanich Inlet on the west coast of British Columbia
receives runoff from rain between November and
March, depositing a lamina of terrigenous material.
The light biogenic layer consists of diatoms. Sediment
trap observations show that a sequence of diatom
assemblages is deposited from spring through early
fall. The first assemblages represent the spring bloom,
followed by an assemblage indicative of moderate
summer production, and finishing with an assemblage
deposited after a small fall bloom. This same sequence
of assemblages has been found in the light layers of
deeper varves, suggesting stability of the climate
system over time.

Santa Barbara Basin, California

The Santa Barbara Basin in the Continental Border-
land off southern California has contained varves
throughout most of the Holocene. Variation in sedi-
ment accumulation rate relates to precipitation.
Analysis of varve parameters over the past 1000 years
has revealed that a major change in precipitation
around AD 1600 altered sediment flux into the Basin,
leading to thicker varves with increased organic
carbon content. Variability in biological production
and oceanic circulation has been reconstructed from
diatom and fish scale time-series developed from the
varves. Geochemical proxies for sea surface temper-
ature have been constructed from alkenones preserved
in the sediment and stable isotopes extracted from
calcareous microfossils (foraminifera). Paleotempera-
tures, upwelling and strength of circulation in the
California Current System have also been reconstruct-
ed using radiolarian and foraminifera assemblages.
Changes in proxy temperature records suggest that
circulation in Santa Barbara Basin responds to El
Niño events, as well as Little Ice Age, Medieval,
Dansgaard–Oeschger, and glacial–interglacial events.
Over the Holocene, intermittent bioturbation of
sediment indicates oxygenation episodes associated
with greater ventilation of intermediate waters during
glaciation.

See also

Biogeochemical Cycles: Heavy Metals; Sulfur Cycle.
Climate Variability: Decadal to Centennial Variability.
Paleoclimatology: Ice Cores.
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Introduction

The Palmer Drought Severity Index (PDSI) is widely
used inmanydisciplines.Details of the development of
the index as well as the rationale behind them are
provided in this article. This is not a critical review of
Palmer’s work. However, the material here should
help a potential user decide on the adequacy of the
index for a specific application.

Drought: Significance and Measurement

Drought is a prolonged absence of sufficient precipi-
tation during a period when it is normally expected.
Depending on its duration and intensity, soils may dry
out, crops could fail, and natural vegetation can be
damaged. Streamflow may be substantially reduced.
Industrial and domestic water usage may be severely
compromised. The local economy may be so severely
damaged by a drought that the very existence of
society in the affected area may be threatened.
Drought-driven environmental refugees are found on
every continent. In Canada and the United States, the
droughts of the 1930s substantially restructured the
socioeconomic landscape.

Different disciplines have different definitions of
drought. In agriculture, droughts are said to occur if
the supply of moisture from precipitation or soil
storage is inadequate to maintain optimum crop
development. A prolonged rainless period may not
be classified as a drought if crop yield is not visibly
affected. If streamflow remains essentially adequate to
supply established uses under a given water manage-
ment system, a long precipitation-free period may not
be considered a drought by the water engineer. These
outcome-dependent definitions have led to the formu-
lation of drought indices that may be too narrow for
general application. However, if the duration of the

precipitation-deficient period over a large geograph-
ical area is months rather than weeks, and the
departure of precipitation amounts received is very
significantly below normal, most discipline-specific
definitions and indices of drought tend to converge.

Droughts are caused by anomalies in atmospheric
circulation, which produce air subsidence over a
stricken area. Droughts may be reinforced and ex-
tended by land surface process and the energy and
water balances they drive.

Drought Indices

The ideal drought index should meet the following
requirements:

� It should be conceptually simple to enable qualita-
tive interpretation.

� It should cross disciplinary boundaries or have
sufficient flexibility to recommend its use, in a
modified form if necessary, in many sectors.

� The index should enable comparison of severity
over both time and space.

� It should ensure that values assigned to severity
reflect variations in both duration and intensity such
that the impacts of long-lasting but mild events can
be distinguished from those caused by short but very
intense events.

� The index should contain a mechanism for deter-
mining the onset and termination of an event.

� It should enable differentiation between aridity and
drought and between drought and a naturally
occurring dry season.

� The index should be calculable from easily obtain-
able data.

� It should have a built-in forecast potential.

The three major parameters that a drought indexmust
contain either explicitly or implicitly are duration,
magnitude, and severity. The links among the three
parameters are illustrated in Figure 1. The graph
should be interpreted as a time series representing
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moisture conditions at a place. A truncation level, Y0,
is established to separate the series into ‘above normal’
and ‘below normal’ events. For a drought,Y0 may be a
constant, as in Figure 1, or may vary through time to
reflect different water requirement thresholds. The
function Yt that quantifies relative dryness at time t
can be construed as a drought index. Index valueswith
YtoY0 represent drought eventswhile thosewithYt >
Y0 designate wet conditions. Duration is the time span
between successive crossings of theY0 line, e.g. t2 � t1.
Magnitude is the mean deviation of moisture condi-
tions at Yt from those at Y0 over duration t2 � t1 and
severity is the cumulative deviation of those conditions
over the duration. The dimension of t (the averaging
period) should be low enough to provide enough
samples for meaningful statistical analysis, but still
high enough that events are statistically independent
of one another. Additionally, t must be of sufficient
length such as not to trivialize the incidence of an
event. Each of the two broad index categories namely,
YtoY0 andYt >Y0, is subdivided into classes to reflect
increasing severity of dryness or wetness and decisions
must be made regarding the location of subdivision
boundaries that are physically sensible.

Drought as Defined by Palmer

In 1965, W.C. Palmer developed a drought index
based on a definition that was not significantly
different from many of the discipline-specific defini-
tions, but themethod used to derive the index itself can
cross disciplinary boundaries. Palmer defined drought
as a significant reduction of available moisture below
that required for the near-normal operation of the
established economy of a region. The qualifications
‘established economy’ is important because it differ-
entiates a drought event from ‘normal’states of aridity,
e.g., those found in deserts, and dry seasons. It also
enables regions to determine what moisture condi-
tions constitute a drought for them. Thus different

degrees of dryness can be tolerated in different regions.
While the Palmer Drought Severity Index (PDSI) is
meteorological in nature, its backbone is a thorough
hydrological accounting. The calculations are made
fromnumerous but simple physically based equations,
using easily obtainable site-specific data.

Water Balance

The Palmer Drought Severity Index is based on the
water balance equation over a cropped land area. This
is shown symbolically in eqn [1] where P is precipi-
tation, SP is water stored in plants, SG is water stored
below the surface, ET is actual evapotranspiration,
and RO is surface runoff. SG may be split into two
parts, namely, SD (water drainage below the root
zone) and SS (soil water held in the root zone).
Following established climatological water balance
practice, Palmer excluded both SP and SG from his
computations.

P ¼ ET þ SGþ SPþ RO ½1�

Palmer makes the observation that, for a given region,
the established supply and demand forwater resources
are based on ‘normal’ values, which he defined
as values for each parameter of eqn [1] that are
‘climatologically appropriate for existing conditions’
(CAFEC). Deviation from the normal is the criterion
for quantifying drought. Severity of drought is a
function of the length of the period of abnormal
moisture deficiency as well as the magnitude of the
deficiency.

Determination of moisture deficiency is done
through hydrological accounting based on eqn [1].
Using measured data from a target station, the equa-
tion is solved at monthly time steps, and a record kept
of what happens to the water. Palmer makes several
assumptions concerning soil moisture storage and its
usage. The soil is divided into two layers. The top layer,
assumed to be roughly equivalent to plow depth, is
assumed to contain 25mm of available water at field
capacity. Themoisture capacity of the underlying layer
is site specific and must be determined. All moisture is
removed from the top layer before any is taken from the
underlying layer. Withdrawal from the underlying
layer is subject to increasing resistance as the moisture
level is drawn down. Palmer assumes that the rate of
withdrawal is a function of atmospheric demand
(potential evapotranspiration) and the ratio of the
water content in that layer to the combined available
water holding capacity of both layers.

The water balance for a crop at a specified time step
is set up as follows. Input is precipitation. Crop water
demand is potential evapotranspiration, which is the

Yt

Y0

t1 t2

Y
(d

ro
ug

ht
 in

de
x)

Time (t )

Figure 1 Defining drought duration,magnitude, and severity in a

time series of moisture levels recorded at a place.
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maximum combined evaporation from the surface of
the ground and the transpiration from the vegetation
covering it under a given weather condition and no
water shortage (i.e., soil moisture is at field capacity). If
precipitation exceeds demand, then water is placed in
storage in the soil until it is recharged to capacity.
Runoff occurs after both demand and recharge are fully
satisfied. If precipitation is insufficient to satisfy
demand, then water is drawn from the soil layers as
specified above.Deficits occurwhen demand cannot be
satisfied by water from precipitation and the soil. On
those occasions, actual evapotranspiration ðETÞ
is less than the potential ðPEÞ, and the difference ðPE�
ETÞ is the deficit. Palmer used the mean monthly
temperature driven Thornthwaite formula to calculate
PE. IfET is less thanPE, then it is computed as the sum
of precipitation and moisture loss from the two layers.

Special Terms and Constants used
in Palmer’s Index

Palmer provides several other terms that are necessary
for computing the index. Their role is to define what is
‘normal’ for a place. The terms are recharge ðRÞ and
potential recharge ðPRÞ; net loss ðLÞ and potential loss
ðPLÞ, runoff ðROÞ, and potential runoff ðPROÞ. These
and other terms used in the computation are defined in
Table 1.

Palmer derived four coefficients designed tomeasure
aspects of the water capability of a region. These are a,
the coefficient of evapotranspiration, also referred toas
the coefficient of climatically appropriate moisture
efficiency; b, the coefficient of recharge; g, the runoff
coefficient; and d, the coefficient of loss. They are
defined by eqns [2]–[5], where the overbars refer to
monthly means obtained over all years of record.

aj ¼ETj=PEj if PEj > 0

aj ¼ 1 otherwise ½2�

bj ¼ �RRj=PRj if PRj > 0

bj ¼ 0 otherwise ½3�

gj ¼ROj=PROj if PROj > 0

gj ¼ 0 otherwise ½4�

dj ¼ �LLj=Plj if PL > 0

dj ¼ 0 otherwise ½5�
Values of coefficient of evapotranspiration aj close to
1.0 indicate that, on average, moisture demand and

moisture supply (use) are equivalent. During cold
months, values of 1.0 show that there is no demandbut
the same value of aj during the growing season
indicates that evapotranspiration is occurring at the
potential rate. The actual level of aj indicates the
CAFEC value of the area or the moisture adequacy
level required to maintain normal biological and
economicwater resource based activities in the region.
It is the region’s adaptation moisture status.

In a temperate climate without a specific dry season,
bj, the recharge coefficient, is largest during the cold
months, and near zero in the warmer, moisture-deplet-
ing growing season.Winter snowfall is added to the soil
during spring melt. This contributes to favorable
antecedent moisture conditions during the growing
season and is a major source for satisfying demand.

The runoff coefficient, g, also shows seasonal
variation. Its values are highest in late winter/early
spring months when the soil is either frozen or
saturated, and approach zero in the fall when soil
moisture is at its lowest level.

The coefficient of loss d is not as seasonally
dependent as the recharge coefficient. Values of 1 can
occur in any season. It is largely demand driven.

Calculation of the PDSI

Normalization with Respect to Demand and Time

Palmer used the four coefficients to derive the CAFEC
precipitation, P^, for a given region for a given month

Table 1 Summary of terms and notations used in Palmer’s water

budget computations

Variable Definition (computation)

j As subscript refers to month, j ¼ 1 to 12

i As subscript refers to year number. ‘n’ is length of record

i ¼ 1 to n

AWC Available water capacity of the two soil layers

AWCU Available water capacity of underlying layer: AWCU ¼
AWC � 25mm

P Precipitation total for month j (mm)

PE Potential evapotranspiration (Thornthwaite method)

R Recharge – net gain in soil moisture during the month

ðe0Þ
PR Potential recharge – amount of moisture required to

bring the soil to full capacity. PR is the difference

between AWC and total water available water held in

the two layers

PL Potential moisture loss, from both layers. This is the

moisture required from both layers to meet

atmospheric demand if no precipitation occurred

during the month

L Net loss of moisture during the month, i.e., moisture

withdrawal from the two layers

PRO Potential runoff – the total amount of soil moisture

storage available or total AWC less potential

recharge
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and year, as shown by eqn [7].

P^
i;j ¼ ajPEi;j þ bj þ PRi;j þ gjPROi;j � djPLi;j ½7�

The quantity di; j, is defined in eqn [8] as the difference
between actual and CAFEC precipitation. It is the
moisture deficit or surplus for the time and place
specific demand.

di; j ¼ Pi; j � P^
i; j ½8�

CAFEC precipitation for a given month may differ
from the long-term mean. If the preceding months
have been hot and dry, the stored moisture will be
nearly depleted, and the CAFEC precipitation, as well
as water demand, will be high. The di; j value
will be negative with a high absolute value, as the
deficit with respect to demand may have been
much greater than the deficit with respect to the
long-term average precipitation. Using the same
argument, above normal precipitation in a month
when the soil moisture is at capacity and the PE is low
will show as a greater surplus than if the soil moisture
had been close to depletion and the PE (mean
temperature) high.

Normalization over Space

Palmer recognized that two regions with the same
deficitmight not suffer identical economic consequenc-
es if the two regions had different supply bases. The
region with the lower supply base would be more
stressed. To discriminate with respect to differences in
impact over the two regions, Palmer calculated the ratio
of the mean demand to the mean supply for a given
place and month, kj which he used to adjust the di;j to
reflect the disparity arising from differences in supply.
Using the value of kj calculated from eqn [9] and the
moisture anomaly index zi;j calculated from eqn [10]
provides the desired spatial weighting for deficits.

kj ¼ ðPEj þ RjÞ=ðPj þ LjÞ ½9�

zi; j ¼ di; jkj ½10�

Duration and Drought Severity

Generally, droughts become more severe the longer
they last. Thus cumulative plots of the z value at each
location capture not only the magnitude of an event,
but also reflect its duration. Based on cumulative plots
of zi;j over two locations, Palmer determined that
drought severity could be adequately represented by
four distinct classes (mild, moderate, severe, and
extreme) to which he assigned values based on his
cumulative plots (Table 2). The four classes of drought

were separated from the opposite classes ofwetness by
normal conditions classified as thosewith index values
between 0 and �1.

Palmer reconciled the effect of intense short-period
deficits against those produced by less intense
but longer lasting ones by considering maximum
rates of accumulation of z values at different stations.
He concluded that the accumulation of z values
at a rate of �12.0 for one month or �85.0 over
60 months would constitute extreme drought
conditions. He used this argument to derive a quan-
titative expression for drought severity Xg, given
by eq. (11), where g represents the month number as
g ¼ 12ði� 1Þ þ j

Xg ¼ 0:897Xg�1 þ zg=3 ½11�

eqn [11] accomplishes two things. First, the duration
factor is included implicitly through the sequentially
arranged values of X. Second, the severity index
acquires a memory through the recursive term Xg�1,
the previous month’s severity.

Re-evaluating the Spatial Weighting Factor

Palmer’s original formulas were created with data
from only two states in the United States – Kansas and
Iowa. When applied to other climatic regions, the
original formulation for spatial normalization pro-
duced unrealistic values. This led Palmer tomodify his
approach to spatial weighting. He assumed that for a
given area, the driest 12-month period represents
extreme drought. He next determined that the accu-
mulated zi;j value which would yield X ¼ �4:0 from
eqn [11] was �25.60. A new value of the 12 months
meanweighting factor, represented asK, could then be
determined by dividing the 12-month sum of di;j for
the driest 12 months on record by �25.60. By
experimenting with several stations outside Iowa
and Kansas, he found that values of �KK based on long-
term records varied from 1.06 in humid areas to 1.73
in drier areas. From this he concluded that K and its
monthly equivalent Kj depend on average water

Table 2 Palmer’s drought severity classes

Index value Description

o�4 Extreme drought

�3 to �4 Severe drought

�2 to �3 Moderate drought

�1 to �2 Mild drought

�1 to 0 Normal conditions

11 to12 Mild wet spell

2 to 3 Moderate wet spell

3 to 4 Severe wet spell

44 Extreme wet spell
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supply conditions, as did the k values. This led Palmer
to further modify his approach to regional weighting
byadding average runoff to themoisture demand term.
Hediscovered that �KK, theweighting inclusive of runoff,
varied inversely with �DD, the mean of the absolute
values of di;j. Plotting all his experimental values on a
graph, he concluded that a new monthly weighting
value,K0

j, would improve the spatial adjustment factor
kj. kj is defined by eqn [12], where Dj is given by eqn
[13] and Sj by eqn [14]. The final form of the spatial
weighting factor is defined by eqn [15].

K0
j ¼ 1:5 log10 ½ðSj þ 2:8Þ=Dj� þ 0:50 ½12�

Dj ¼
Xn
i¼1

ðjdi;jjÞ=n ½13�

Sj ¼ ðPEþ �RRj þ ROjÞ=ð�PPj þ �LLjÞ ½14�

K ¼ 17:67K0=
X12
j¼1

�DDK0
" #

½15�

Following the modifications, a new set of values Zi;j,
was calculated according to eqn [16] to define mois-
ture anomalies normalized with respect to both time
and space.

Zij ¼ Kjdi;j ½16�
These values then replaced the values zg in eqn [11].

TheXi;j calculated from the modified version of eqn
[11] was Palmer’s first approximation to his drought
severity index and is often considered the PDSIbymany
researchers andused as such.However, at this point, the
indexcouldmoreproperlybe consideredahydrological
drought index since it consists basically of a systematic
accounting of moisture inflow, outflow and storage.

Ending a Dry and Wet Spell

As theXi;j is calculated, a wet or dry spell is considered
to have ended as the severity approaches zero, and
average moisture demand is satisfied. A return to
normal weather following readjustments of large-scale
or regional-scale atmospheric circulation patterns will
have to persist for a significant length of time in order
for this index to return to normal conditions. In
meteorological terms, the criteria for ending a drought
are more stringent than the simple processes employed
so far. Consequently, another method is needed to
establish the beginning and endingofwet anddry spell.

Requiring the severity index to drop all the way to
zero or near zero could result in an unjustified
perception that a mild drought persisted over many
years if followed by slightly dry or even normal
weather. On the other hand, if the drought index was

only required to reduce to �1.0, a single normal
month could lead to a premature end of amild drought
that could still evolve into a more severe event.

Palmer conceded that drought would most reasona-
bly have ended with the index somewhere between
�1.0 and 0.0, and chose �0.5. Thus as the index
reaches the ‘near normal’ category, the drought or wet
spell is considered to be terminated, Palmer then asked
the question: Howmuchmoisture would be required to
reduce the index value to �0.5? Allowing Xg to equal
�0.5,Palmer solved for this value.Hecalled itZe, given
by eqn [17] in a dry spell and by eqn [18] in a wet one.

Ze ¼ �2:619Xg�1 � 1:50 ½17�

Ze ¼ �2:691Xg�1 þ 1:50 ½18�
Also there is some smallest value of Z, which could
occur month after month and produce Xg equal to
�0.5. In such a case, using eqn [11], DX would be
zero,Xg � 1 would be �0.5 and Zg would be �0.15.
This value (�0.15) indicates that a drought may end
even if the weather is consistently slightly drier than
normal. Therefore, once a drought has definitely
begun, with Xg � �1:0, any value of Z greater than
� 0.15would tend to end it. Palmer could then answer
the question he posed by calculating Uw, or effective
wetness, which would apply only once Xg � 1:0.
The relationship is given by eqn [19].

Uw ¼ Zg þ 0:15 ½19�
Assume that for month g, Xg � �1:0. If during that
month the amount of wetness required to end the
drought is greater than the effective wetness
ðZe >UwÞ, then the drought severity index will be
lower than for month g� 1, but the drought will not
have ended. However, the amount of wetness required
to end the drought during the following month, gþ 1,
will have been diminished by the accumulated wet-
ness, such that a new value of Ze must be calculated.

Palmer then generalized the definition of Ze by first
assuming that for the current month g, Xg � �1:0,
and also that Xg�1 � �1:0, Xg�2 � �1:0, and so on
back to and including month Xhnðhn � gÞ, the first
month of the current dry spell, which has a duration
ðg� hn þ 1Þ months up to and including month g.
Then formonth g,whereh is anymonthwithin this dry
spell such that hn � h � g, and Ug is Uw in month g,
the value of Ze for that month is given by eqn [20].

Zeg ¼ Zeðg�hÞ þ
Xh¼hn

h¼0

ðUg�h �UgÞ ½20�

This valueZeg then represents that amount of wetness
needed to end the drought in thatmonth. The valueUg
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for the month g is the effective wetness, the amount
that actually occurred. Keeping track of accumulated
values of U as well as of the current Ze, Palmer was
able to determine a percentage probability Peg that a
drought has ended in month g.

Peg is not a true stochastic probability but rather a
ratio of the amount of moisture received in month g to
that required to end the drought in that month,
expressed as a percentage.Peg is formulated according
to eqn [21], where hn � hog.

Peg ¼ 100
Xh¼hn

h¼0

Ug�h

 !
Zeþ

Xh¼hn

h¼1

Ug�h

" #,
½21�

This probability may then be used as a basis for
defining drought ending times, particularly when the
value is between 0 and 100, in which case the index
value itself may lead to ambiguous judgments. In
particular, cases where drought is interrupted by one
or more wet months may now be evaluated based on
the antecedent conditions containedwithinZe and the
cumulative U terms in eqn [21].

The arguments are similar but opposite for wet
periods with indices Z1.0.

Palmer’s Meteorological Drought Severity Index

Once the method ending droughts and wet spell was
established, Palmer further refined the index tomake it
more sensitive tometeorological conditions. He did so
by keeping track of all the dry and wet spells obtained
from previous computations. This was done via a
tracking of three different indices namely, X1g, the
severity index of a wet spell which is becoming
established; X2g, the severity index for a dry spell
which is becoming established; and X3g, the severity
index for any wet or dry spell which has become
established.X1g is calculated from eqn [22], and gives
positive and nonzero values for wet spell. X2g is
calculated from eqn [23] giving negative, nonzero
values for any dry spell.

X1g ¼ 0:897X1g�1 þ Zg=3 if X1g > 0

X1g ¼ 0 otherwise
½22�

X2g � 0:897X2g�1 þ Zg=3 if X2go0

X2g ¼ 0 otherwise
½23�

IF Pego100, then X3g ¼ 0 is calculated according to
eqn [24].

X3g ¼ 0:897X3g�1 þ Zg=3 ½24�
For other values of Peg, X3g ¼ 0. This gives nonzero
positive or negative values onlywhen theprobability of
ending the current wet or dry spell is less than 100%.

Equations [22] to [24] followdefinitions of the three
indices. However, assigning a value to X3 for the
beginning of an established wet or dry spell requires
changing from one index to another, as shown in
eqn [25].

IF X3g ¼ 0 and X1g > 1 THEN

X3g ¼X1g ½25�

This shows that the wet spell has become established
for the first time. Similarly, eqn [26] indicates the start
of a dry spell.

IF X3g ¼ 0 and X2go� 1 THEN

X3g ¼X2g ½26�

To assign a value to the actual meteorological index,
i.e., the PDSIg for month g, one of the three indices
defined in eqns [22]–[24] must be chosen. In some
cases, the procedure is straightforward, but in others,
confusion may arise. Palmer used examples from a
long running data set from western Kansas to demon-
strate whether the assigned value represents the
beginning of an established wet spell or a dry spell.
When Pe drops to zero, indicating that the probability
of ending the current spell is nonexistent, then the
PDSI value for that month is theX3 value. When Pe is
100%, the current spell has ended, and the PDSI value
will have the value ofX1 orX2, whichever is opposite
in sign from the spell that just ended. Problems arise
when Pe is between 0 and 100, and X1 and X2 both
have absolute values less than 1.0, indicating that no
serious wet or dry spell is underway. Palmer’s solution
is to continue assigning values to both the X1 and X2
indices according to the criteria established above, but
delay assigning a value to the PDSI until X1 and X2
become zero at some futuremonth. IfX2 drops to zero
first, thenX1 values are given to the unassigned cases,
and a mild wet spell is considered to have occurred.
Palmer himself considered this method to be a com-
promise. However, to calculate the PDSI during times
when X1 and X2 are both indicating low absolute
values throughPalmer’smethod requires backtracking
and very occasionally subjective decisions. While this
does not present major problems when working with
fewer than 10 data sets, listed in tabular format,
difficulties encountered when electronically process-
ing scores of sets have led to a number of modifica-
tions. For example, the Weekly Weather and Crop
Bulletin assigns values to PDSIg based on Peg, X1g,
X2g, and X3g according to eqns [27]–[29].

1: IF 0oPeg � 50; THEN

PDSIg ¼ X3g ½27�
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The constraint in eqn [27] covers the case when X3 is
nonzero, and a wet or dry spell has been established,
but the probability of the spell ending, while not zero
as yet, is low. Had this constraint been applied to
Palmer’s western Kansas’s example, one 8-month dry
spell would have lasted 10 months.

A second constraint is given by eqn [28], where the
value of PDSIg is eitherX1g orX2g, whichever results
in an index having the opposite sign from X3g. This
change in sign would indicate a switch from a dry to
wet or from a wet to a dry spell.

2: IF 50oPego100; THEN

PDSIg ¼ X1g or X2g ½28�
The drought-ending criterion is as follows: once the
probability of ending the wet or dry spell exceeds
50%, the value of X1 or X2 which would indicate a
change of climatic conditions is used as the PDSI value.
Had this been used in Palmer’s example, one 4-month
near normalwet spellwould have been a 3-month near
normal wet spell followed by a single near normal dry
spell.

The final constraint is given by eqn [29], where the
value of PDSIg isX1g orX2g, whichever has the larger
value.

3: IF X3g ¼ 0; THEN PDSIg ¼ X1g

or X2g ½29�
Through this criterion, the case of Pe ¼ 100% is
covered, asX3g would in that case be zero. Also, since
the constraint of X3g ¼ 0 means that the absolute
values of X1g and X2g are both less than 1.0, the case
inwhich Palmer required backtracking and occasional
arbitrary decision is resolved. Had this criterion been
applied to Palmer’s example, the results would be
unchanged.

Conclusion

Palmer’s drought index fulfills all the criteria specified
for an ideal index. Perhaps his most important
contribution to water balance science is giving quan-
titative expression to the knowledge that the criteria
for a drought could differ from region to region, and
across land use and economic practices. The method-
ology is so flexible that it can adapt to changes inwater
resource culture, even ones that are technologically
driven. The assumptions may appear too numerous
and simplistic to some scientists. However, several
experiments designed to test them have either con-
firmed the robustness of his approach or suggested

modifications, which are not significant enough to
alter the fundamentals of the method. But changes are
being made and will continue to be made in how data
are acquired and processed for PDSI. Remote sensing
enables data acquisition from large geographical areas
at high frequency. Several software packages are
available for computing the index for various time
and spatial scales. Used within a Geographical Infor-
mation System environment, the PDSI can facilitate
spatial and temporal analyses of drought pattern
anywhere. Although the Palmer Drought Severity
Index has been used primarily to study past drought
events, its use as a forecasting tool for future events is
expanding. For example, DroughtMonitor, an organ-
ization comprising federal and state agencies, univer-
sities and the private sector, provides monthly
forecasts of moisture conditions in the United States
based on the index. The forecast is accessible on the
web (http://www.drought.unl.edu/dm/forecast.html).
The Palmer model is a powerful tool for seasonal
weather and hydrological forecasting at grid and sub-
grid levels. The flexibility offered by the CAFEC
concept makes it an ideal tool for constructing water
budget scenarios for future climates.

See also

Agricultural Meteorology and Climatology. Deserts
and Desertification. Drought. Hydrology: Overview.
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Introduction

At any given time clouds cover between 60%and 70%
of the globe and for most of mankind they are an
everyday experience. Clouds exert various influences
on the Earth–atmosphere system, of which the most
important are:

� modification of the radiative fluxes in the atmos-
phere and at the Earth’s surface;

� release and consumption of latent heat related
to phase changes of water either directly
inside the clouds or in precipitation generated in
them;

� transport of heat, moisture, momentum and atmos-
pheric trace constituents over large distances in the
vertical in convectively generated clouds;

� modification of the surface hydrology through
precipitation generated in clouds.

For a more detailed discussion of these cloud effects
the reader is referred to other articles in the Encyclo-
pedia (see Clouds: Classification; Climatology; Meas-
urement Techniques In Situ, Convection: Laboratory
Models of) and to the textbooks of Cotton and Anthes
(1989), Liou (1992), and Houze (1993).

Given the importance of the various influences
clouds have in the evolution of both the atmosphere
and the surface, it is immediately obvious that those
effects need to be included in the atmospheric models
that are used for the simulation of climate and the
prediction of weather. As described in the articles
dealingwith general circulationmodels and numerical
weather prediction (see General Circulation:Models.
Weather Prediction: Regional Prediction Models),
these models seek numerical solutions to the

hydrodynamic equations that govern atmospheric
motions.

Various numerical techniques can be applied to
achieve this goal, but all of them ultimately involve
splitting the area over which the model is applied into
‘boxes’ of finite size in both the horizontal and the
vertical. While the continuous differential equations
describe atmospheric motions on all spatial and
temporal scales, their discrete form can only describe
processes on spatial scales of the order of twice the grid
length. Processes that occur in clouds cover a wide
range of spatial scales, from micrometers in the
condensation and evaporation of individual cloud
droplets, through a few hundred meters in the case of
fair weather cumulus clouds, up to several hundred
kilometers for the cloud systems associated with
extratropical baroclinic systems. Hence, describing
the detailed dynamics of individual clouds requires
model gridbox sizes on the order of meters or less.
Current computing power as well as difficulties in
finding the necessary initial conditions at those spatial
scales prohibit the use of such grid-box sizes in global
atmospheric models. In reality, typical horizontal grid
lengths in contemporary global models range from
around 50km in numerical weather prediction appli-
cations to more than 250 km in climate modelling.
Processes that act on scales smaller than these grid sizes
are normally referred to a subgrid-scale processes and
are, per se, not represented in the solution of the finite
difference equations. Many of these processes do,
however, affect the dynamic and thermodynamic state
of the atmosphere on larger spatial scales. Obvious
examples are the large amounts of water vapor, heat
and momentum that are transported by turbulent and
convectivemotions. Since an explicit descriptionof the
subgrid-scale processes is prohibited, only their statis-
tical effects on the grid box-mean state can be taken
into account. Since the numerical solution of the
model equations allows the atmospheric state to be
known only on scales on the order of the grid box size,
the description of these statistical effects has to be
expressed in terms of those scales. The technique
involved is generally referred to as parameterization.
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To describe the main effects clouds have on the
atmosphere as outlined above, the following cloud-
related quantities need to be known:

� horizontal coverage of cloud, normally referred to
as cloud fraction;

� vertical extent of the clouds;
� sources and sinks of cloud condensate including
condensation, evaporation/sublimation, and con-
version into precipitation and fallout;

� phase of the condensate;
� particle size and shape;
� in-cloud distribution of condensate;
� amounts of heat, water vapor, and momentum that
are transported in convective clouds.

This list implies scales much smaller than the typical
resolution of most atmospheric models. The problem
of representing clouds in large-scale atmospheric
models is therefore one of parameterizing their overall
effects on the resolved scales.

There are a number of problems to be overcome in
the parameterization of clouds. First, there exists a
variety of cloud types, such as stratocumulus clouds at
the top of convective boundary layers, vast cloud
systems associated with extratropical disturbances,
deep convective systems that may or may not be
organized, and upper-tropospheric cirrus clouds.
These different cloud types are formed, maintained
and dissipated by different physical processes, such as
convection, small-scale turbulence, large-scale ascent
or descent, and cloud microphysical processes that
lead to the generation of precipitation. Many of these
processes are poorly understood and act on scales
smaller than those resolved in a large-scale model,
which makes them the subject of physical parameter-
ization themselves. Furthermore, the radiative effects
of clouds depend on a large number of different cloud
parameters that all need to be described accurately
to ensure their correct treatment in the radiation
parameterization.

It is worthwhile pointing out that, because of their
distinctive properties, cumulus and cumulonimbus
clouds have been recognized as being of particular
importance. This has led to (an artificial) separation of
the description of the vertical transport and conden-
sation effects from the radiative effects of convective
clouds in what is now known as cumulus convection
parameterizations. As will be briefly discussed below,
current efforts in improving cloud parameterizations
involve attempts to overcome this artificial process
splitting. Furthermore, the details of the radiative
transfer in clouds are normally dealt with in radiation
parameterizations. Thus, typical cloud parameterizat-
ions need to

1. describe the generation and dissipation of clouds
and the precipitation formed in them; and

2. provide the radiation parameterization with the
necessary information to evaluate the cloud effects
on the radiative fluxes, most prominently the area
coverage and cloud condensate content.

Before a brief overview of how the problem of cloud
parameterization can be addressed, some general
concepts for any type of cloud parameterization will
be outlined.

General Concepts in Cloud
Parameterization

The sizes of many of the observed clouds are often
significantly smaller than the sizes of the model grid
boxes quoted above. Even on integration over all
individual clouds in an area comparable to those grid
sizes, one finds from observations that often the area is
only partially covered with cloud. Since this has
important consequences, especially for the radiative
cloud effects, almost all cloud parameterizations
describe the fractional coverage of a model grid box
with cloud as one of their key parameters. Since cloud
fraction is such a fundamental concept that is used in
many different ways across a whole variety of cloud
parameterizations, it seems worthwhile to highlight
the general implications of the concept of fractional
cloud cover.

Assuming that clouds form whenever the specific
humidity locally exceeds its saturation value, which
occurs if sufficient cloud condensation nuclei are
available (see below), fractional cloud cover implies
that certain parts of a model grid box become
supersaturated before others. This has several impli-
cations. One of them is that clouds exist in the
model grid box before the grid-mean relative
humidity reaches the saturation value of 100%.
This has been used in many cloud parameterizations
to determine the cloud fraction by defining a
critical relative humidity, RHcrit , above which
clouds exist in a grid box and a functional rela-
tionship that increases cloud cover from zero below
RHcrit to one when the entire grid box is saturated. It
should be obvious that the definitions of both RHcrit

and the functional relationship are far from unique
and for many years cloud parameterization was
nothing more than attempting to find and refine such
definitions.

Another consequence of considering cloud fraction
is that there must exist a distribution of the distance
from the local saturation point within the model grid
box. This implies some variation of humidity and
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temperature around their mean value. The knowledge
of these variations would in fact be sufficient to
describe the cloud field within a grid box. Figure 1
provides an illustration of this idea. In a one-dimen-
sional model ‘grid box’, both specific humidity, q, and
its saturation value, qs, are assumed to be nonuniform.
In those areas where q > qs, clouds are assumed to
exist and the sum of the cloud areas divided by the size
of the grid box is the total cloud fraction, a, where
a ¼ c=x. The mathematical technique used to describe
these variations describes joint probability distribu-
tion functions for a temperature variable and a
humidity variable. Unfortunately, the distribution
functions are neither known nor expected to be unique
and will depend on many different physical processes.
Nevertheless, the introduction of the idea of distribu-
tions provides a conceptual framework for the devel-
opment of cloud parameterizations.

One of the microphysical processes to be described
in any cloud parameterization is the condensation
process. This theoretically involves the description of
two distinct processes: the nucleation of cloud par-
ticles and their initial growth by diffusion of water
vapor toward the nucleated particles. It is well known
that the main nucleation process in the atmosphere is
that of heterogeneous nucleation of cloud particles on
small aerosol particles, usually referred to as cloud
condensation nuclei (CCN) (seeCloudMicrophysics).
In the presence ofCCNcondensation occurswhenever
the relative humidity exceeds its saturation value of
100%, while in the absence of CCN large values of
supersaturation need to exist to allow the nucleation

of sufficiently large droplets. In order to avoid the
complex treatment of nucleation processes, most
cloud parameterizations to date assume that CCN
are always available in sufficient numbers and the
condensation problem reduces to removing any su-
persaturation. The nucleation of ice particles in the
atmosphere can occur via heterogeneous or homoge-
nous nucleation. Supersaturations with respect to ice
are frequently observed in the upper troposphere,
complicating the parameterization of ice clouds.

Common Approaches to Cloud
Parameterization

The previous section has established the reasons why
cloud processes need to be parameterized in atmos-
pheric models. The main effects of clouds were found
to be their influence on the radiative fluxes, their latent
heat effects, and the ability to transport heat,moisture,
and momentum in case of convective clouds. It was
also established that all but the radiative effects of
convective clouds are treated in a separate convection
parameterization, which is not the subject of this
article. The role of clouds for atmospheric models was
recognized early on, although in the first models it was
mainly the latent heat effects that were considered to
be important. This section gives a brief overviewof the
major steps in the history of cloud parameterization.
The various approaches will be considered in the
context of themajor effects that need to be described in
models. Each of the periods of development in cloud
parameterization can be assessed using the following
four questions.

1. How are nonconvective condensation processes on
subgrid scales described?

2. How are the radiation effects of the clouds derived
after answering (1)?

3. How are the convection and cloud parameterizat-
ions linked?

4. How are the microphysical processes that lead to
precipitation generation described?

Table 1 provides an overview over the timeline of key
aspects of the treatment of cloud-related processes in
atmospheric models.

Early Condensation Schemes

In the development of early general circulationmodels
(GCMs) in the 1960s, the latent heat effects of both
convective and nonconvective condensation processes
were considered. Furthermore, since the model in-
cluded an evolution equation for a humidity variable,
unphysical states of supersaturation needed to be
avoided in the evolution of the model variables.

a3

a2

qs

a1

q

q

c =a1+a2+a3

x

Figure 1 Schematic of the existence of clouds in the supersat-

urated areas of a one-dimensional model grid box. The x-axis

represents space. The short-dashed line ðqÞ shows the value of

specific humidity as a function of location within the grid box. The

long-dashed line ðqsÞ shows the saturation value of specific

humidity. Areas in which q > qs represent clouds, indicated by

the hatched areas.
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Therefore, a simple but effective condensation scheme
was introduced into the models. Its basic idea was to
readjust back to saturation any possible supersaturat-
ed states occurring on the grid scale at the end of a
model time-step. The condensate thus formed was
removed instantaneously as precipitation. Hence,
although condensation processes and therefore their
latent heat effectswere described, itwas not clouds but
precipitation that was formed during the condensa-
tion. A similarly simple description of convection was
used in which the temperature lapse rate for saturated
grid columnswas not allowed to exceed that of amoist
adiabat. Any condensate formed in this ‘moist con-
vective adjustment’ process was also removed as
precipitation. The role that radiation effects of clouds
play in the general circulationwas considered small, so
that most early GCMs used prescribed zonally aver-
aged cloud albedos and emissivities as input for their
radiation calculations. Since all condensate was re-
moved as precipitation, no description of microphys-
ical processes was necessary; hence, early GCMs
described only condensation processes with no cloud
interaction whatsoever. In fact one could argue from
today’s point of view that early GCMs did not
parameterize clouds but precipitation. The first col-
umn in Table 1 represents this period in the evolution
of cloud parametrization.

Diagnostic Cloud Schemes

It was soon recognized that the radiative effects of
clouds might play a crucial role in the general
circulation of the atmosphere. The next generation
of cloud parameterizations was therefore aimed at
providing some interaction of cloudiness and the other

model variables. This was usually achieved by param-
eterizing the cloud fraction as a function of relative
humidity. This type of parameterization had already
been proposed for early models but it was not used in
GCMs until the 1980s. The reasons for this are not
entirely obvious, but the difficulties of validating the
model predictions of cloud fraction and the rather
limited computing power available at the time were
factors.

Relative humidity schemes rely on the concept
that if the grid-mean relative humidity exceeds a
threshold value, usually on the order of 80%,
it is likely that some part of the grid volume
has already reached saturation and therefore clouds
start to form. If the grid-mean relative humidity
reaches 100%, the entire grid box is assumed to be
covered with clouds. Since all models using this
approach still used the description of condensation
as before, the radiative and latent heat effects of clouds
were entirely decoupled. Furthermore, since conden-
sation occurred only for grid-mean values of relative
humidity above 100% but clouds existed before that,
the amount of condensate needed for the description
of the radiative effects of the model clouds was simply
prescribed.

The development of more complex convection
parameterizations allowed convectively generated
clouds to be described as a function of the results of
the convection parameterization. This was often
achieved by linking the cloud fraction to the precip-
itation produced in the convection scheme and again
prescribing the condensate content. The simple re-
moval as precipitation of any moisture in excess of the
saturation humidity makes the description of micro-
physical processes unnecessary.

Table1 Anoverview of the historic evolution of key aspects of cloud parameterization. The symbols are defined as follows: q is the grid-

mean specific humidity; qs is the grid mean of its saturation value; a represents cloud fraction with acu describing the contribution from

convectively generated clouds to that value; l represents the condensate content, with lcu again describing that in convective clouds;RH is

the grid-mean relative humidity and CP is the rate of convective precipitation

Modeling period

1960/70s 1970/80s 1980/90s Now and beyond

Condensation

(nonconvective)

�qq > �qqs �qq > �qqs l prognostic function

of outcome of

processes

l prognostic function

of the processes

themselves

Radiation effects Prescribed zonal

mean albedo and

emissivity of

clouds

a ¼ f ðRHÞl
prescribed

a ¼ f ðRHÞl
prognostic

a prognosticl

prognostic

Convection No cloud interaction acu ¼ f ðCPÞ lcu
prescribed

acu ¼ f ðCPÞ lcu
prescribed

Condensate and

mass as sources

for a and l

Microphysics None None Simple bulk

microphysics

Complex bulk

microphysics
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This type of cloud parameterization is usually
referred to as the ‘diagnostic’ approach, since the
main cloud parameters (cloud fraction and condensate
amount) are diagnosed using the grid-averaged quan-
tities, and is represented by the second column in
Table 1. Over the years, the basic relative humidity
approach was developed, by introducing additional
predictors such as vertical motion and inversion
strength at the top of convective boundary layers,
into the cloud fraction description. It is noteworthy
that this approach provides reasonable estimates of
many of the main observed cloud patterns and can be
made to work well by adjusting the many free
parameters in the parameterization. This, together
with a low computational cost, made it a widely used
parameterization approach right up to themid-1990s.

Prognostic Condensate

One of the major drawbacks of the diagnostic
approach described above is the obvious disconnec-
tion of the cloud latent heat effects from the radiative
effects. Sundqvist, who introduced an additional
prognostic model equation for cloud condensate,
previously only applied in cloud-scale modeling,
established this link in models in a parameterization.
By explicitly predicting the amount of condensate
formed, a link to the radiative impact of the clouds
could be established through the direct use of the
predicted condensate in the radiation calculations. A
consistent diagnostic treatment of cloud fraction was
also introduced in which the cloud fraction remains a
function of the grid-mean relative humidity, which is
now directly influenced by the condensation processes
that are allowed to occur before grid-mean saturation
is reached.

The description of convective clouds remained
unaltered by Sundqvist’s approach. One immediate
consequence that should play a major role in the
further development of cloud parameterizations is
that the conversion of some of the cloud condensate to
precipitation needs to be described. Very simple
descriptions of the autoconversion process together
with some intuitive parameterization of the precipita-
tion-enhancing collection and Bergeron–Findeisen
mechanism were used. Although simple, the use of a
parameterization scheme of this kind for the first time
acknowledged the need to describe microphysical
processes as part of the cloud parameterization
problem.

Statistical Schemes

In parallel to the introduction of what is now usually
known as ‘the Sundqvist parameterization’, another
approach emerged, based on ideas originally applied

in much higher-resolution cloud models. Here, the
parameterization of clouds is based on the idea
outlined above that the existence of clouds on a
subgrid scale requires that the humidity and its
saturation value be somehow distributed around their
grid-mean values. The knowledge of their probability
distribution functions (PDFs) is therefore sufficient to
describe both cloud fraction and condensate content
within a grid box. Themost common use of this idea is
bymeans of a joint PDF for a temperature variable and
a humidity variable. Since it was originally developed
for the description of nonprecipitating boundary layer
clouds, conservative thermodynamic variables such as
liquid water potential temperature and total mixing
ratio are often preferred.

Figure 2 illustrates the general idea of this approach.
Liquid water potential temperature and total mixing
ratio are assumed to be distributed with a joint PDF. A
saturation curve for a given grid-mean temperature
and pressure is then drawn. All the values of the PDF
that lie above this saturation curve represent clouds
and the cloud fraction and condensate content can be
calculated by integrating over this part of the distribu-
tion. The crucial question for a successful application
in GCMs is the definition of the distribution function
itself. Different approaches were taken here using
either fully prescribed andfixed PDFs or simple links of
some of the distribution parameters to the turbulence
parameterization.A critical issue for the use of the PDF
of variables, as for those above in a GCM, is that their
conservation breaks down in the presence of precipi-
tation. Although it is of obvious importance, little
discussion of this issue has taken place so far.

Since it is obvious that cloud fraction and cloud
condensate content within a grid box do depend on
PDFs as used in the parameterization, this approach
for parameterization appears promising if the evolu-
tion of the PDF can be predicted from the evolution of

Cloud

qs(T,p)

(Θ1,qt)

Θ1

qt

Figure 2 Schematic diagram of a possible distribution ofYl and

qt in a model grid box and its implication for clouds.
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the resolved scales. Note that since the result of a PDF-
based parameterization is a condensate content and a
cloud fraction, there is a similar requirement as for the
Sundqvist scheme to describe the conversion to
precipitation.

Fully Prognostic Schemes

In the early 1990s a new approach to cloud param-
eterization emerged, in which both the time evolution
of the cloud condensate and that of cloud fraction are
described using prognostic equations (eqns [1a,b]).

ql
qt

¼ AðlÞ þ SðlÞ �DðlÞ ½1a�

qa
qt

¼ AðaÞ þ SðaÞ �DðaÞ ½1b�

In eqns [1a] and [1b], l is the grid-mean condensate
content and a is the cloud fraction. Aðl; aÞ represents
the advection of the two variables, Sðl; aÞ represents
any sources of condensate or cloud fraction, and
Dðl; aÞ represents their dissipation. This approach
was pioneered by Tiedtke and has been introduced
into a number of GCMs.

More recently, research has been focusing on
combining the fully prognostic approach with that
used in statistical schemes. Here, instead of predicting
grid-mean condensate and cloud fraction, the mo-
ments of a probability density function are used as
prognostic model variables and the relevant cloud
parameters are deduced from the PDF as in the
traditional statistical cloud parameterizations.

Contemporary Issues

Convectively Generated Clouds

Both the introduction of a prognostic variable for the
description of cloud condensate and the use of a PDF-
condensation scheme solve the problem of linking the
latent heat effects of clouds with the macroscopic
parameters entering the radiation calculations. A
major remaining problem in both approaches is that
they do not include clouds produced by convective
processes as an integral part of their formulation. In
models using either of these two cloud parameterizat-
ion approaches, convective clouds are usually still
treated as they were in diagnostic cloud parameter-
izations. Randall in 1989 identified this problem as
‘the most serious deficiency of the cloud parameter-
izations in current GCMs’.

A variety of approaches for tackling this problem
have been devised since then. The most common
approach used in the schemes solving a prognostic
equation for the condensate is to treat water substance

detrained from convective updraughts as a source of
liquid water for the ‘stratiform’ clouds. The exact
nature of the link depends on the definition of
‘detrainment’ and can vary for different schemes.
Although using ‘detrained’ condensate from convec-
tion as a source for cloud condensate has become a
standard way of linking convection and radiation
through cloud formation, the variety of different
ad hoc techniques used points to a lack of understand-
ing of how exactly this link should be represented. A
further major problem is how to represent the cloud
fraction resulting from the detrainment process. Re-
cent parameterizations have attempted to derive
consistent treatments of both condensate and cloud
fraction from convection. Despite the progress made
in this area, the inclusion of clouds generated by
convective processes remains an uncertain area of
active research.

Process-Oriented Approaches

More and more contemporary cloud parameteriza-
tions have moved from what can be described as an
integrating approach to a process-oriented treatment
of clouds. The difference between the two approaches
is illustrated inFigure 3. Figure 3A summarizes the con-
cept of integrating cloud parameterizations. Various
physical processes, such as resolved scale ascent, con-
vection, turbulence, etc. modify one or several re-
solved variables and/or their tendency. Those resolved
quantities (e.g., relative humidity or its tendency) are
then used to evaluate the evolution of the model
clouds. A major drawback of this approach is that the
effects of parameterized processes, such as convection,
that contribute directly to cloud formation and dissi-
pation are first ‘integrated’ onto the grid scale only to
be reinterpreted for subgrid-scale cloud processes.

In contrast, in a process-oriented approach (Figure
3B) each potentially cloud-modifying process, re-
solved (e.g., large-scale ascent) or parameterized
(e.g., convection) directly alters the model’s cloud
variables as well as other resolved-scale model varia-
bles. In this way information available at the level of
other physical parameterizations can be directly used
in the cloud scheme and the clouds become a more
integral part of the parameterization package. The
physically more appealing process-oriented approach
to cloud parameterization significantly raises the level
of complexity of the parameterization, since the
influence that each physical process exerts on the
model clouds needs to be explicitly described.

Cloud Microphysics

Most recently, the attention in cloud parameterization
has shifted significantly toward the treatment of cloud

PARAMETERIZATION OF PHYSICAL PROCESSES / Clouds 1697



microphysics. This has been facilitated by increased
computing power and the availability of sophisticated
microphysics parameterizations from cloud-resolving
andmeso-scale numericalmodels. Although increased
sophistication in describing precipitation processes in
GCMs is certainly justified, the transplantation of a
microphysics scheme from a cloud-resolving model to
a GCM is not without problems. This is mainly due to
the scales at which the input variables of the micro-
physical scheme are available and to the difference in
time steps used by the differentmodels.Microphysical
processes are highly nonlinear and their parameteriza-
tion has to rely on the knowledge of the local amount
of condensate. In GCMs only the grid-mean value (or
cloud-mean value if cloud fraction is amodel variable)
for condensate is known. This has led to the need for
significant modifications to microphysical constants
in the parameterizations in order to achieve reasona-
ble cloud condensate and precipitation amounts. The
detailed treatment of microphysical process would
also require the use of very short model time steps.

Since GCMs are used either at high resolution in
numerical weather prediction or for long integrations
in climate research, the use of such short time steps
might be prohibitive and alternative solutions need to
be found.

With increasing horizontal and vertical resolution,
the concept of cloud fraction becomes less important
and grid-point values of cloud condensate are more
representative for local conditions. Hence, in numer-
ical models with horizontal resolutions of less than a
few kilometers it is common to apply more complex
and physically more realistic parameterizations of
cloud microphysics. This is usually achieved by
introducing additional condensate species (e.g., grau-
pel, hail) and a more realistic description of the
microphysical processes themselves (e.g., a separate
description of nucleation anddeposition; a description
of riming). For more details on cloud microphysical
processes (see Cloud Microphysics).

See also

Cloud Microphysics. Clouds: Classification; Climato-
logy; Measurement Techniques In Situ. Convection:
Laboratory Models of. Convective Cloud Systems:
Modelling. General Circulation: Models. Weather
Prediction: Regional Prediction Models.
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Introduction

Gravity waves are oscillations that cause perturbat-
ions in the winds, temperature, density, and pressure
fields in the atmosphere. They are also called buoyancy
waves (see Buoyancy and Buoyancy Waves: Theory)
because the restoring force for their oscillation is the
buoyancy force associated with vertical parcel dis-
placements in a stably stratified fluid. Because the
density of the atmosphere decreases exponentially
with height, vertically propagating gravitywaves have
amplitudes that tend to grow exponentially with
height in the absence of dissipation. Therefore, even
small-amplitude waves in the lower atmosphere may
have very large effects at high altitudes. Gravity waves
carry momentum and energy fluxes, so their dissipa-
tion can lead to net changes in the momentum and
energy budgets of the surrounding fluid.

The effects of gravity waves on the larger-scale
circulation must be parameterized in global models
because the resolution required tomodel them directly
is prohibitively fine. The waves important to the
circulation in the atmosphere have horizontal wave-
lengths ranging from about ten to thousands of
kilometers. The largest of these can be resolved in
some globalmodels.However, the verticalwavelength
of a gravity wave will vary substantially with height
owing to the effects of wind shear, and it is important
to represent vertical wavelengths as small as 1 km.
Gravity waves with periods as short as 5–10minutes
can carry significant momentum flux vertically. Fur-
ther, the sources of these waves include processes that
are also parameterized and/or poorly resolved, name-
ly, convective heating, fine-scale topography, localized
shear zones, and frontal structures. Directmodeling of
gravity waves in global models is therefore still not
feasible at the present time.

Parameterization of Gravity Wave
Effects

Parameterization of gravity waves generated by flow
over fine-scale topography is now widely used in
atmospheric climate and weather forecasting models.
When the effects of these waves were introduced in
climatemodels, they significantly reduced an eastward

wind bias in the Northern Hemisphere winter tropo-
sphere and lower stratosphere that had previously
tended to grow worse with improved resolution.
The parameterized topographic gravity wave
drag provided a realistic dissipation process that
transported momentum from the surface to the free
atmosphere.

Global models of the atmosphere that includemany
levels above the tropopause also require parameter-
ization of gravity waves from other sources. Param-
eterized topographicwaves are characterized by phase
speed c ¼ 0 relative to the ground (stationary waves),
while waves from other sources may have wide-
ranging phase speeds (nonstationary waves). The
detailed characteristics of the nonstationary waves
are not well understood. Parameterizations of these
tend to assume a simple latitudinally varying source
spectrum of wave phase speeds. The effects of these
waves are most pronounced in the mesosphere, where
the drag they exert on the middle atmosphere jets
drives a strong summer-to-winter meridional circula-
tion that reverses the temperature gradient that would
be predicted fromconsideration of solar heating alone.
In the stratosphere, gravity wave forcing also drives a
mean meridional circulation, though the contribution
of gravity waves is secondary to the planetary-wave
forcing. Gravity waves are also believed to
cause important vertical mixing of heat and
constituents in the upper mesosphere and lower
thermosphere.

The parameterization of gravity wave effects has
therefore focused on estimation of two terms for
inclusion in the fundamental fluid equations applied in
global models.

� Abody forcing termX for themomentum equation,
e.g., eqn [1].

DV

Dt
¼ �f k̂k3V�rFþX ½1�

Here V is the vector wind, f is the Coriolis param-
eter, k̂k is the unit vector in the vertical, and F is the
geopotential (see Dynamic Meteorology:Overview
for additional discussion). Themeaning of eqn [1] is
that the acceleration of a fluid parcelDV=Dt is equal
to the sum of forces per unit mass. The three forces
shown here are the Coriolis force ð�f k̂k3VÞ, the
pressure gradient force ð�rFÞ and the wave-driven
force X.

� An ‘eddy diffusion coefficient’ Kzz for describing
vertical mixing effects on temperature and trace
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constituents in the thermodynamic equation and in
equations describing tracer transport, e.g., eqn [2].

DT

Dt
þwN2H

R
¼ J

cp
þ 1

r
q
qz

rKzz
qT
qz

þ g

cp

� �� �
½2�

This is the thermodynamic energy equation including
a diffusive mixing term due to unresolved gravity
waves. T is temperature, w is vertical velocity, N is
buoyancy frequency, H is scale height, R is the gas
constant, and J=cp defines the thermal forcing (again
see Dynamic Meteorology: Overview). Gravity wave
mixing effects are considered only in the vertical
because the atmosphere is generally treated as hori-
zontally homogeneous over the scale of the unresolved
waves. A similar mixing term can be applied to
conservation equations for trace constituents.

The eddy diffusion term is only known to be
important at mesospheric and lower thermospheric
altitudes, while the momentum forcing term is impor-
tant at levels ranging from theupper troposphere to the
lower thermosphere. Momentum diffusion and direct
heating terms can also arise from gravity wave dissi-
pation, but these have been neglected in most param-
eterization applications. However, the heating term is
nowbelieved to be important locally in themesosphere
energybudget (seeMiddleAtmosphere:GravityWaves
for additional discussion of the physics of these effects
and their importance in the atmosphere).

Simplifying Assumptions

Parameterizations in global models assume that wave
propagation is one-dimensional, purely vertical. Ef-
fects of the Coriolis force on waves with the lowest
intrinsic frequencies are also usually neglected
(ôo2 � f 2 where ôo is the wave intrinsic frequency).
The hydrostatic approximation is also generallymade,
which assumes that the horizontal wavelength ismuch
longer than the verticalwavelength, or ôo2 � N2.With
these assumptions,momentum forcing is proportional
to the vertical gradient of the vertical flux of horizontal
momentum (or Reynolds stress) F ¼ rðu0w0; v0w0Þ
carried by the wave, and eqn [3] applies.

X ¼ � 1

r
qF
qz

½3�

The parameterization problem then reduces to (1)
specifying the gravity wave flux F0 at some initial
height z0 usually taken to be the source altitude
somewhere in the troposphere or near the tropopause,
then (2) computing the dissipation as a function of
height or FðzÞ. Dissipation could be due to any number
of effects, including radiative damping, wave breaking
due to convective or dynamical instability, and

nonlinear wave–wave interactions. Different parame-
terizations make different assumptions about which
dissipation processes are important, but, for calcula-
tion of the momentum forcing term X, only the net
effect of these processes on FðzÞ is important. Figure 1
shows a schematic profile of momentum flux for a
wave carrying positivemomentumflux dissipating as a
functionofheight.This dissipationvia eqn [3] results in
a positive force. The direction of the force will always
be such as to accelerate or ‘drag’ the background wind
speed toward the wave intrinsic phase speed.

When waves break down, mixing is likely, and the
eddy diffusion term can be important. Dissipation due
to radiative damping, however, is not likely to result in
mixing, and high-resolution numerical model studies
have also shown that the specific characteristics of the
wave at the point of breaking or the nature of the
instability process may strongly affect the degree of
mixing. This makes the relationship between the
momentum forcing and the vertical diffusion uncer-
tain.Given the changes observed in gravitywaveswith
height described in Middle Atmosphere: Gravity
Waves, the relationship between X and Kzz may even
vary dramatically with height between the tropopause
and the upper atmosphere.

Lindzen Type Parameterizations

The most commonly applied parameterizations are
based on a formulation by Richard Lindzen first
outlined in 1981, and these are generally referred to as
‘Lindzen’ or ‘Lindzen type’ parameterizations. These
treat the spectrum of gravity waves as a discrete set of
simple planewaves varying only in their phase speeds c
and propagation directions. An isotropic source is
commonly specified, or only eastward- andwestward-
propagating wavesmay be included because these will
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interact most strongly with the mainly zonal winds in
the middle atmosphere. Each wave mode is assigned
an amplitude at a specified source level z0. As the
waves propagate vertically, they are Doppler shifted
and refracted by vertical variations in the background
wind. Doppler shifting is described by the change in
the intrinsic phase speed ĉcðzÞ or frequency ôoðzÞ
associated with vertical shear in the component of
horizontal wind in the direction of the wave propaga-
tion �uu (eqn [4]). k is the horizontal wavenumber.

ĉcðzÞ ¼ ôoðzÞ
k

¼ c� �uuðzÞ ½4�

Refraction describes the corresponding change in
vertical wavenumber m with height (eqn [5]).

mðzÞ ¼ NðzÞk
ôoðzÞ ½5�

When the wave amplitude exceeds the threshold for
convective instability (see Middle Atmosphere: Grav-
ity Waves), the wave amplitude is assumed to saturate
at that threshold value and grow no further. This
assumption gives an estimate of wave dissipation as a
function of height. In terms of themomentum flux, the
saturation limit can be written as eqn [6].

Fj j � Fs ¼ Fr2
rk
2N

c� �uuj j3 ½6�

Here, Fs is the saturated value of the momentum flux
and Fr is the critical Froude number (generally
assumed B1). Applying eqn [3] then gives the
momentum force in the saturated region (eqn [7]).

X ¼ e
k c� �uuð Þ3

2N

1

H
þ 3d�uu=dz

c� �uu

� �
½7�

Vertical gradients in N have been neglected, and the
shear term is also sometimes neglected. The factor e
has been described as an efficiency factor or intermit-
tency. For parameterization of nonzero phase speed
waves, the sources are generally specified to be
globally uniform because we lack better knowledge
of the details of how to treat these waves. The factor e
then is meant to describe the fractional coverage of
waves andwave sources in space and time. It is applied
only in the force eqn [7] and not to the flux and
saturation condition [6] because the local amplitudes
of the waves should determine the breaking levels and
saturation regions. If e is small, the spatially and
temporally averaged amplitudes of gravity waves will
be much smaller than the local amplitudes.

A vertical diffusion coefficient is derived by assum-
ing the wave dissipation described by eqn [6] occurs
because local mixing effects maintain the local tem-

perature gradient at the adiabatic temperature lapse
rate (the limit for convective instability). This assump-
tion gives eqn [8].

Kzz ¼ 1

Pr

ðc� �uuÞX
N2

½8�

Note that in eqn [8] the uncertain Prandtl number (Pr)
has been included explicitly. This factor describes the
ratio of thermal to momentum diffusion and has been
assigned values ranging from 1 to 10 in model
applications. While the force X always has the same
sign as the intrinsic phase speed ĉc ¼ c� �uu, the vertical
diffusion coefficient is always positive.

Topographic Wave Parameterization

For topographic wave drag parameterizations, the
wave phase speed is set to c ¼ 0, which simplifies
equations [6]–[8] to eqns [9]–[11].

Fj j � Fs ¼ eFr2r
k

2N
�uuj j3 ½9�

X ¼ e
k�uu3

2N

1

H
� 3

�uu

d�uu

dz

� �
½10�

Kzz ¼ � 1

Pr

�uuX

N2
½11�

The efficiency factor e is applied not only to the force
[10] but also to the local fluxes [9] because here e
describes processes that limit wave amplitudes at the
source, such as flow blocking. The spatial and temporal
intermittency is also explicit in the source description
sincewaves areonly generatedover topographyand their
amplitudes will depend on the background wind speed.

Many variants exist for how to specify the topo-
graphic source flux F0, but one of the simplest that is
very commonly applied in global models assumes the
source is a function of the topographic height standard
deviation sh of subgridscale topography within a
model grid box, e.g. eqn [12], where the subscripts
refer to values at the source level close to the surface
and h0 ¼ minð2sh; FrV0=N0Þ.

F0 ¼ � ek
2
r0N0V0h

2
0 ½12�

The amplitude h0 ¼ minð2sh; FrV0=N0Þ where the
Froude number limit crudely accounts for blocking
effects.

Spectral Parameterizations

Several newer parameterization methods for describing
gravity wave effects are currently in use that attempt to
capture the effects of a full spectrum of gravity waves
rather than prescibing just a few waves with discretely
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different properties as in the Lindzen type parameter-
izations. Application of the Lindzen type generally
requires smoothing of the calculated response by
including an ad hoc exponential increase in the force
anddiffusionprofiles below thebreaking level to prevent
the suddenonset associatedwith eqn [6]. Effects can also
be sudden or discrete in time and in the horizontal plane
because of the dependence of the solutions on ðc� �uuÞ,
while c is specified with a discrete set of values at
generally coarse resolution. The spectral parameteriza-
tions are expected then to provide smoother gravity
wave effects for incorporation in global models.

The mechanisms proposed to describe wave dissi-
pation as a function of height vary among the different
spectral parameterizations, and each also has restric-
tions on the properties of the wave spectrum that can
be specified at the source level. The current uncertainty
that exists in how to specify the gravity waves at their
sources is so large at the present time that it is difficult
to separate source differences in these models from
differences in the description of wave dissipation.
Figures 2 and 3 serve to illustrate this problem.

Figure 2A shows normalized energy spectra that
differ only in the shape of the spectrum at long vertical
wavelengths 25 km � lz � 2:5 km. These longer ver-
tical wavelength waves are difficult to observe in the
lower stratosphere near gravity wave sources. The
three spectra in Figure 2A are meant to describe the
range of uncertainty in the long-wavelength portion of
the spectrum. Figure 2B shows the three correspond-
ing momentum flux spectra as a function of intrinsic
phase speed ĉc, where it has been assumed the waves
propagate in the zonal direction and the spectrum is
symmetric. The uncertainty in long vertical wave-
length waves translates to an uncertainty in waves
with high intrinsic phase speeds. The conversion from

energy to momentum flux requires knowledge of the
intrinsic frequency, which is also difficult to determine
fromobservations, adding additional uncertainty. The
three curves have been chosen to illustrate cases with
different dependences on high and low intrinsic phase
speed waves.

These spectra were then input to a gravity wave
parameterization calculation of the momentum forc-
ing for the zonal wind profile shown in Figure 3A. The
integrated momentum flux input is specified to be a
constant among the three cases and the source altitude
set at 5 km. The parameterization employed is similar
to the Lindzen type parameterizations, but the spec-
trum is broken into small increments Dĉc ¼ 1m s�1,
and instead of employing the saturation condition [6]
to describe the dissipation as a function of height, each
spectral element loses all of its momentum flux at the
breaking level.

The three zonal force profiles that result are shown
in Figure 3B. The peaks between 60 and 90 km are
most sensitive to the large negative intrinsic phase
speed portion of the spectrum that has been so difficult
to quantify with observations. These differences arise
primarily because of the uncertainty in our under-
standing of this high phase speed portion of the gravity
wave spectrum in nature.

Additional uncertainties in the parameterized force
are associated with differences between parameter-
ization methods. Comparison studies are needed to
understand these differences but have proved to be
very difficult to perform for several reasons. Each
parameterization has specific requirements for how
the source spectrum is described, and these different
requirements can render the results of the comparisons
ambiguous or even make some comparisons imposs-
ible. Differences among different global models are
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additionally a large source of uncertainty, and even
studies with different parameterizations in the same
global model require simulation of many realizations
of the solutions because of the chaotic nature of the
atmospheric responses.

Constraints on Gravity Wave
Momentum Fluxes

The existing constraints on gravity waves in the lower
atmosphere are reviewed here for the purpose of
constraining parameterized gravity wave sources.

Measurements Local to Sources

Observations of gravity waves just above a localized
known source can provide some constraints for
parameterizations. Relatively few observations, how-
ever, give momentum fluxes. Fewer still can also
specify the wave phase speeds, horizontal wavenum-
bers, and propagation directions required to accu-
rately predict their effects on the atmosphere at higher
levels.

Observations by radar and aircraft of gravity waves
in the lower stratosphere have provided gravity wave
momentum fluxes above topographic and convective
sources. Observations from satellite platforms have
also provided some limited information on gravity
wave momentum fluxes to date. These have shown
local momentum fluxes1 when wave activity was
observed over topography of B0.02–0.5 Pa. Topo-

graphic waves are not always observed to be station-
ary, but generally have slow phase speeds and very low
frequencies relative to the ground.Model studies have
shown that time-varying winds and nonlinear effects
can lead to the generation of topographic waves with
nonzero phase speeds. Horizontal wavelengths of
topographic waves should be related to the scales of
surface roughness.

Waves observed over deep convective clouds2 have
been reported with momentum fluxes B0.01–0.2 Pa.
Short horizontal wavelengthsB10–100kmhave been
observed by aircraft and satellite. Longer horizontal
wavelengthsB500–1000 km have been inferred from
balloon soundings at locations where convection is
expected to be the main source. Phase speeds for
convectively generated waves have also been reported
to vary greatly from near zero toB50m s�1 although
the uncertainty in these phase speed estimates can be
large. Fluxes and properties of waves generated by
other sources such as spontaneous adjustment have
not been directly observed, but are believed to also be
important.

Constraints on Long-Term Average Momentum
Fluxes

Convection is an example of a wave source that is
expected to be highly intermittent, and our under-
standing ofwhen, where, and howmuchwave activity
will be generated by this source is very poor. Indirect
constraints on longer-term averaged gravity wave
momentum fluxes provide valuable additional
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Figure3 Vertical profiles of (A) zonalwind input into the parameterizedmomentum force calculation, and (B) the three forceprofiles that

result from the three differentmomentum flux spectra in Figure 2B. To derive the force, a horizontal wavelength of 200 kmwas assumed,

and the efficiency factors for each spectrum were chosen so that the integrated momentum flux in each spectrum was the same (equal

eastward and westward fluxes of 0.001Pa).

1Observations have generally been reported as horizontal and

verticalwind covariances in units ofm2 s� 2. Those reported here are

in Pa5kgm� 1 s� 2, which have been multiplied by density r. This
allows easier comparison of observations at different altitudes
because, in the absence of dissipation, wind covariances will grow

exponentially with height in proportion to r�1.

2It should be noted that because this source has been observed to

be highly intermittent and because the total number of measure-
ments is relatively small, convectively generated waves with even

larger fluxes may occur but may not yet have been observed.
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constraints for parameterizations in light of this
uncertainty in wave intermittency.

Monthly average measurements of momentum
fluxes have been reported at tropical sites where
convection occurs and at sites in the vicinity of
topography. These values are generally smaller than
the peak values reported above by factors of 10–100,
suggesting a high degree of intermittency.

Other estimates of the long-term, global-scale fluxes
carried by gravitywaves come frommodel studies that
estimate the gravity wavemomentum fluxes indirectly
using constraints on the momentum forcing due to
gravity waves in the middle atmosphere. These
estimates have ranged over B2–6� 10�3 Pa, but it
should be noted these estimates are still highly
uncertain.

Recent Developments

Gravity waves generated by flow over orography are
already parameterized inmost climate and forecasting
models. Recent developments include more realistic
descriptions of the wave properties and momentum
fluxes at the source level F0. The effects of the
orientation of major topographic ridges in determin-
ing wave propagation directions has been shown
to be important. Other improvements have focused
on a more realistic description of blocking effects
and other details of the topography and flow
near the surface that affect the wave momentum
fluxes F0.

Because convection is known to be an important
source for nonstationary gravity waves, there is
currently active interest in parameterizing waves
specific to this source in global models. The details
of the mechanisms within convection responsible for
generating the waves are still being debated, and the
properties of the waves generated are also not yet well
known. Therefore, recent attempts to include waves
from this source have required making a number of ad
hoc assumptions that will have large effects on the
model solutions. Observations and modeling studies
of convectively generated waves are, however, begin-
ning to provide the better characterization of this
source necessary for more accurate parameterization
of their effects.

Theoretical studies and some sparse observations
suggest that other sources are also important to be
parameterized, but these remain even more poorly
quantified than convectively generated waves. The
situation will improve in the near future as techniques
for observing gravity waves in satellite data are being
developed, and these will provide the global coverage
that is needed.

Nomenclature

ĉc intrinsic phase speed
e intermittency
f Coriolis parameter
F vertical flux of horizontal momentum
Fs saturated momentum flux magnitude
Fr Froude number
H density scale height
h0 orographic height parameter
J=cp thermal forcing
k̂k unit vector in the vertical
Kzz vertical diffusion coefficient
(k;m) (horizontal, vertical) wavenumbers.
lz vertical wavelength
N buoyancy frequency
ôo intrinsic frequency
F geopotential
Pr Prandtl number
r density
sh subgridscale topography standard deviation
R gas constant
t time
T temperature
�uu wind in the direction of wave propagation
V horizontal wind vector
w vertical wind
X momentum forcing
z vertical distance

See also

Buoyancy andBuoyancyWaves:Optical Observations;
Theory. Dynamic Meteorology: Overview. Middle At-
mosphere: Gravity Waves.
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Introduction

Turbulence is a prominent feature in the atmosphere,
particularly in the atmospheric boundary layer. Turbu-
lence length scales vary typically froma fewmillimeters
to a few hundreds of meters, which is smaller than the
grid spacing in models of the atmosphere. However,
these small-scale motions have a strong impact on the
evolution of the mean flow and therefore a parameter-
ization scheme is needed in models that simulate the
flow in the atmosphere. A mathematical framework to
describe the effect of turbulence on the mean flow can
be obtained by separating variables into a mean and a
fluctuating part: the so-called Reynolds decomposi-
tion. The resulting equations for themean flow contain
variances and covariances of fluctuating quantities that
are unknown. This is known as the closure problem.
Expressing the unknown terms into mean flow varia-
bles is called turbulence parameterization.

The turbulent transport terms are among the
dominant terms in the atmospheric boundary layer
and govern the exchange of heat, moisture, and
momentum with the surface. In a climate model it is
for instance through the turbulence scheme that the
model knows about the sea surface temperature and
the heat andmoisture input from the surface. Also, the
momentum sink due to drag at the surface is predom-
inantly controlled by the turbulence parameterization.
Figure 1 shows a latitude–height cross-section of the
mean moisture tendency from turbulent diffusion in a
global model. Although turbulence can occur any-
where in the atmosphere, e.g. as clear air turbulence
near the jet stream, the main tendencies are near the
surface, illustrating the importance of turbulence for
exchange with the surface.

Models of the atmosphere cover a wide range of
applications, e.g. canopy flow models, flow over

complex topography, air pollution dispersion models,
internal boundary layer models, mesoscale models,
numerical weather prediction models and climate
models. All these models have turbulence schemes to
describe the effect of turbulent transport on the mean
flow. Depending on the application, the requirements
may vary, and it is beyond the scope of this article to
cover all options. However, most turbulence schemes
are built on the same principles. Here we will focus on
numerical weather prediction (NWP) and climate
models.

Turbulence is a very complex and nonlinear flow
phenomenon, and no general theory exists. Therefore
turbulence schemes rely heavily on insight in the
physics of turbulent flow, on empirical relations from
observations, andon similarity arguments to represent
observations. With the increased availability of com-
puter power also, large eddy simulation models have
become important in providing ‘data’ to replace or
complement observations.

Turbulence can be generated by wind shear or
by buoyancy, the latter acting as a strong modulator
of the diurnal cycle over land. An atmospheric
boundary layer heated from the surface during day-
time is highly turbulent throughbuoyancy production,
whereas the nighttime boundary layer can be very
calm through the suppression of turbulence by stable
stratification.

Buoyancy generation of turbulence is not always
due to heating from the surface. Unstable stratification
can also be generated, e.g. by differential advection or
by radiative cloud top cooling. Stratocumulus, for
instance, can maintain a well-mixed structure because
the cloud top cooling leads to buoyancy-generated
turbulence and strong vertical mixing.

Variables

For the description of turbulent transport in the
vertical it is necessary to use thermodynamic variables
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that are conserved for adiabatic ascent or descent. For
the dry case, suitable variables are, e.g., potential
temperature y or dry static energy s together with
specific humidity q.

y ¼ T
p0
p

� �R=cp

½1�

s ¼ cpT þ gz ½2�
In these expressions T represents temperature, p is
pressure, p0 a reference pressure (usually 1000 hPa),R
the gas constant, cp the air specific heat capacity at
constant pressure, g the gravitational acceleration,
and z the height above the surface. For turbulence in
cloudy situations it is necessary to consider the latent
heat release in saturated parcels during adiabatic
ascent and descent. Suitable conserved variables are,
e.g., liquid water potential temperature yl or liquid
water static energy sl and total water content qt.

yl ¼ y� Lvy
cpT

� �
ql ½3�

sl ¼ cpT þ gz� Lvql ½4�

qt ¼ qþ ql ½5�
whereLv is the latent heat of vaporizationofwater and
ql the specific liquid water content. When clouds are
present (i.e., ql > 0), q is equal to the saturation value
qsat at temperature T.

To quantify buoyancy and stability, a variable is
needed that reflects thedensity of thefluid. For instance,
static stability is determined by the density of a fluid

parcel moved adiabatically to a reference height in
comparison with the density of the surrounding fluid.
The virtual potential temperature yv and the virtual dry
static energy sv are often used for this purpose:

yv ¼ yð1þ 0:61q� qlÞ ½6�

sv ¼ cpTð1þ 0:61q� qlÞ þ gz ½7�

Surface Layer

The surface layer, also called the constant flux layer, is
the lower part of the boundary layer where the fluxes
are close to the surface values. The concept is an
asymptotic one, with the constant flux layer assump-
tion being valid only for heights that are small
compared with the boundary layer height. In practise,
the criterion of a maximum of 10% deviation of the
surface flux is often used. With a linear decrease of
fluxes from the surface to the topof the boundary layer,
it implies that 10% of the boundary layer depth can be
considered to be the surface layer. So in a 1000m deep
daytime mixed layer, the surface layer has a depth o
f the order of 100m, whereas in the stable night-
time boundary layer which is only a few hundred
meters deep, the surface layer can be as shallow
as 10m.

It is common practise in turbulence models to use
Monin–Obukhov (M–O) similarity between the sur-
face and the lowest model level. The theory of M–O
similarity is well established and the corresponding
empirical functions have been the subject of extensive
observational studies. Although M–O similarity
works well, in principle it is limited to stationary
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flow over homogeneous terrain. This is a serious
limitation as flow in, e.g., NWP and climate models is
over real terrain, which is seldom homogeneous.

The standard way of expressing surface fluxes of
momentum u0w0

0 and v0w0
0, sensible heat w0y00 and

moisture w0q0
0 into wind, temperature, and moisture

differences over the surface layer is with help of
transfer coefficients (e.g., Brutsaert 1982; Stull 1988):

u0w0
0 ¼ �Cmj~UU1jU1 ½8�

v0w0
0 ¼ �Cmj~UU1jV1 ½9�

w0y00 ¼ Chj~UU1jðys � y1Þ ½10�

w0q0
0 ¼ Cqj~UU1jðqs � q1Þ ½11�

where Cm is the transfer coefficient for momentum
(drag coefficient), Ch the transfer coefficient for heat,
Cq the transfer coefficient for moisture, j~UU1j
the absolute horizontal wind speed at the lowest
model level, y1 and q1 the potential temperature
and the specific humidity at the lowest model
level, and ys and qs the potential temperature and
the specific humidity at the surface.1 In accordance
with MO theory, the transfer coefficients can be
written in terms of profile functions containing
a logarithmic part, with roughness lengths as
surface characteristics, and a stability function de-
scribing the effect of stability as a function of the
Obukhov length:

Cm ¼ k2

½lnðz1=z0mÞ �Cmðz1=LÞ�2
½12�

Ch ¼ k2

½lnðz1=z0mÞ �Cmðz1=LÞ�½lnðz1=z0hÞ �Chðz1=LÞ�
½13�

Cq ¼ k2

½lnðz1=z0mÞ �Cmðz1=LÞ�½lnðz1=z0qÞ �Chðz1=LÞ�
½14�

where L is the Obukhov length ð¼ �u3
n
=

ðw0y0v0kg=yvÞÞ, k is the von Karman constant (0.4),
un ¼ fðu0w0

0Þ2 þ ðv0w0
0Þ2g1=4 the friction velocity,

z0m, z0h, z0q are the roughness lengths for momen-
tum, heat, and moisture, z1 is the height of the lowest
model level (in many models between 10 and 30m),
andCm;h are the stability functions formomentumand

heat/moisture. Over land where z1 is not necessarily
large compared with z0m, a displacement height equal
to z0m needs to be added to z1, but over the ocean this
effect is negligible because z1 � z0m. The transfer
coefficients can also be written as

Cm ¼ CmnFm Rib;
z1
z0m

;
z1
z0h

� �
½15�

Ch ¼ ChnFh Rib;
z1
z0m

;
z1
z0h

� �
½16�

Cq ¼ CqnFh Rib;
z1
z0m

;
z1
z0h

� �
½17�

where the neutral transfer coefficients are defined by
the logarithmic part of the profile functions

Cmn ¼ k2

½lnðz1=z0mÞ�2
½18�

Chn ¼ k2

½lnðz1=z0mÞ�½lnðz1=z0hÞ�
½19�

Cqn ¼ k2

½lnðz1=z0mÞ�½lnðz1=z0qÞ� ½20�

and Fm, Fh, and Fq are the stability functions depend-
ent on bulk Richardson number Rib ¼ ðg=yvÞ
z1ðyvs � yv1Þ=j~UU1j2, and the ratios z1=z0m and z1=z0h.
It can easily be shown thatRib is related to z1=L, so the
functions Fm and Fh can be derived from the Monin–
Obukhov stability functions for which the main body
of empirical information exists. In these expressions,
the stability functions Fm and Fh also have a formal
dependence on z0q, which has been neglected here,
because z0q is often equal to z0h and the stability
dependence on moisture is weak.

A recent extension of the air–surface transfer
framework has been to add a gustiness velocity in
the definition of the absolute wind speed:

½~UU1j ¼ ðU2
1 þ V2

1 þ bw2
n
Þ1=2

wn ¼ h
w0y0v0g

yv

� �1=3

½21�

where h is the boundary layer height, wn the free
convection velocity scale,w0y0v0 the surface buoyancy
flux, and b an empirical parameter. To include the
effect of gustiness on the friction velocity, the friction

1Over water, ys and qs are determined by the sea surface
temperature and its saturation specific humidity; over land, a

surface scheme is needed to obtain ys and qs.
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velocity needs to be redefined as well:

un ¼ C1=2
m ðU2

1 þ V2
1 þ bw2

n
Þ1=2 ½22�

Observational and model studies suggest b values
ranging from 0.8 to 1.25. The idea is that the
horizontal wind ðU1;V1Þ and the large-scale compo-
nents of the horizontal wind fluctuations (scaling with
wn) control the air–surface coupling. Horizontal wind
fluctuations do not obey MO similarity (they scale
with h), and therefore this part of the air–surface
transfer is an extension to MO theory. The gustiness
effect is important only at low wind speeds,
because values of wn vary typically between 0.5 and
1.5m s�1. However, it is necessary to include gusti-
ness in the air–surface transfer to avoid the singularity
at zero wind speed and to obtain a proper free
convection limit.

The formalism described above leaves two aspects
undefined namely (1) the neutral transfer coefficients
defined by roughness lengths, and (2) the stability
functions. The stability functions have been subject of
a number of experimental programs and are reason-
ably well known for homogeneous terrain. Popular
functions for unstable situations are

Cm ¼2 ln
xþ 1

2

� �
þ ln

x2 þ 1

2

� �

� 2 arctanðxÞ þ p
2

½23�

Ch ¼ 2 ln
x2 þ 1

2

� �
½24�

with

x ¼ 1� 16z

L

� �1=4

½24�

In the neutral limit with jz=Lj ! 0,Cm;h ! 0 (leaving
just the logarithmic part of the transfer coefficients in
eqns [12]–[14] and Fm;h ! 1. For stable situations the
following functions are adequate for most applica-
tions:

�Cm ¼ a
z

L
þ b

z

L
� c

d

n o
exp � dz

L

� �
þ bc

d
½25�

�Ch ¼ 1þ 2a

3

z

L

� �3=2

þb
z

L
� c

d

n o

� exp � dz

L

� �
þ bc

d
� 1 ½26�

with a ¼ 1, b ¼ 0:667, c ¼ 5, and d ¼ 0:35. The
evidence for having different Cm and Ch functions is

very weak in the fully turbulent regime (i.e. z=Lo1),
but necessary in very stable situations.WithCm ¼ Ch,
it can easily be shown that a critical Richardson
number exists, beyond which no turbulence can exist.
Practically, it is important that the conversion from
Richardson number to z=L, which is necessary in
large-scale models, does not become singular. The
functions in eqns [25] and [26] guarantee such a
regular behavior.

The last parameters that need specification in order
to describe air–surface transfer are the roughness
lengths for momentum heat and moisture. Roughness
lengths are considered to be surface characteristics,
but specifying them can be very difficult. The rough-
ness lengths are as much part of the air–surface
transfer problem as the transfer functions themselves.

For land, empirical tables are used that relate
roughness lengths to vegetation cover and type (e.g.
0.03m for smooth grass and 1–2m for forest).
However, heterogeneity in land cover has a big
influence. Intermittent obstacles (e.g. lines of trees)
can change a smooth surface into a surface that exerts
a strong drag on the atmospheric flow. The standard
way of handling surface heterogeneity in large-scale
models is to define so-called ‘effective roughness
lengths’. The effective roughness lengths are the ones
that give the correct area-averaged flux in a large-scale
model. The concept is justified by observations over
inhomogeneous terrain where far away from the
surface a logarithmic profile is observed with a slope
that corresponds to un=k, where the friction velocity is
the square root of the area-averaged kinematic
momentum flux at the surface. Far away means at
such a distance from the surface that the internal
boundary layers from the surface heterogeneities have
blended. Another example of surface heterogeneity is
subgrid orography, which exerts form drag on the
flow. The effect of subgrid orography is often included
in large-scale models through an enhanced roughness
length. The orographic contribution to the ‘effective
roughness length’ can be very large. In areas with
orography, the roughness length for momentum can
go up to a few hundred meters.

Much less is known about the roughness lengths for
heat and moisture. For homogeneous low vegetation
they tend to be an order of magnitude smaller than the
roughness length for momentum, but the effect of
terrain heterogeneity is less obvious. Indications are
that the transfer coefficients for heat and moisture are
not enhanced because the equivalent of pressure drag
on obstacles (form drag) does not exist for heat and
moisture, and therefore the roughness lengths for heat
and moisture decrease when the roughness length for
momentum has a heterogeneity or orographic en-
hancement. There are also indications that the rough-

1708 PARAMETERIZATION OF PHYSICAL PROCESSES / Turbulence and Mixing



ness lengths for heat and moisture are not really
surface properties but also depend on environ-
mental parameters as solar elevation, wind, and
stability.

The notion that surface roughness lengths are an
integral part of the surface–air transfer problem,
and the fact that roughness lengths over land can be
rather uncertain, has inspired other approaches. An
example is the free convection transport theory
for heat and moisture proposed by Stull (see
Holtslag and Duynkerke 1998). It has transfer laws
that do not depend on surface characteristics, but the
empirical coefficients are not the same for land and
ocean.

Roughness lengths over the ocean are much smaller
than over land (between 10�5 and 10�3 m). Since
oceanwavesmake the surface aerodynamically rough,
and since waves are wind-driven it is not surprising
that the ocean roughness length for momentum scales
predominantly with the friction velocity. A common
expression is

z0m ¼ 0:11n=un þ Cchu
2
n

g
½27�

z0h ¼ 0:40n
un

½28�

z0q ¼ 0:62n
un

½29�

where the second term in eqn [27] represents the so-
called Charnock relation for rough ocean waves with
Cch the empirical Charnock parameter (common
values range from 0.01 to 0.03). The other term
with n=un represents the scaling for molecular ex-
change, with n for the kinematic viscosity of air
ð1:5�10�5m2 s�1Þ. Neutral transfer coefficients in
accordance with equations [18], [20], [27] and [29]
are given for the 10m reference level in Figure 2 as a
function ofwind speed. There is a clear increase ofCmn

with wind speed, whereas the transfer coefficient for
moisture is fairly constant. Both transfer coefficients
increase at low winds owing to the n=un scaling. The
characteristics shown as functions of wind speed
correspond very well with observations, although
recent studies indicate that the transfer coefficients
depend also on the state of the ocean waves, often
characterized by the wave age.

Bulk or Slab Model for the Dry
Mixed Layer

Turbulent mixing is strong in the unstable boundary
layer owing to heating from the surface and therefore
the outer part of the BL (above the surface layer) tends

to bewell mixed in conserved variables (particularly y,
but alsoU,V, andq). Anobviouswayof describing the
well-mixed boundary layer is by describing the evo-
lution of the BL by its depth, itsmixed layer valuesUm,
Vm, ym, and qm, and the jump in these conserved
variables at the top of the BL (Figure 3 illustrates this
bulk model). Simple rate equations can be derived,
e.g., for potential temperature with a mixed layer
value ym and a depth h:

h
dym
dt

¼ w0y00 �w0y0h ½30�

dh

dt
¼ we ½31�

dDy
dt

¼ gwe � dym
dt

½32�

w0y0h ¼ �weDy ½33�
where w0y00 is the kinematic surface heat flux, we the
entrainment velocity, w0y0h the flux at the top of the
mixed layer, Dy the temperature jump at the top of the
mixed layer, and g the lapse rate above the boundary
layer. The total derivatives in eqns [30]–[32] include
advection. This is not a closed set of equations; a
closure equation is needed for entrainment flux w0y0h
or w0y0vh. This term has been studied extensively with
tank experiments and in the atmosphere. Its magni-
tude is related to the amount of turbulent kinetic
energy that is produced in the mixed layer and the
fraction that is diffused into the inversion layer where
it erodes the inversion. It is therefore plausible that this
term scales with the total production of kinetic energy
in the mixed layer. The following closure equation
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Figure 2 Neutral transfer coefficients for momentum (dashed)

and moisture (solid) as functions of wind speed for the 10m

reference level ðU10Þ.
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combines a number of production mechanisms in an
empirical way:

hðg=yvÞw0y0vh ¼B1u
3
n
þ B2jD~UUj2we

þ B3w
3
n
þ B4s3w ½34�

The empirical coefficients are by no means known
accurately, but typical values are: B1 ¼ 2:5, B2 ¼ 0:7,
B3 ¼ 0:2, and B4 ¼ 1:5. The first term represents the
production of turbulence by shear in the mixed layer
and scales with the surface friction velocity, the second
one represents the production by shear in the inversion
and scales with the velocity jump D~UU over the
inversion, the third term is often the dominant one as
it represents the buoyancy production in the mixed
layer, and the last term, scalingwith the variance of the
vertical velocity, represents the energy needed to spin
up the calmair that is entrained into themixed layer. In
practical applications often the dominant third term
only is used, which corresponds to the well-known
closure assumption w0y0vh ¼ 0:2w0y0v0.

The advantage of bulkmodels is that they are simple
and realistic (at least for well-mixed quantities), and
do not rely on high vertical resolution. However, this
type of model can be difficult to implement in a large-
scale model, as it involves a moving lower boundary
(the top of themixed layer). An alternative is to use the
boundary layer height as a floating extra level to
enhance the vertical resolution of a model at the
inversion heightwhere it ismost needed. Furthermore,
slab models have difficulties in handling less well-
mixed boundary layers such as stable boundary layers,

baroclinic boundary layers, and quantities that are not
so well mixed, such as wind and specific humidity.

Irrespective of whether mixed layer models are of
practical importance, they are certainly of conceptual
importance. The bulk model clearly illustrates the
budget aspect of the well-mixed atmospheric bound-
ary layer: the time evolution of themixed layer value is
determined by the flux at the surface and the flux at the
top. This is an aspect that should not be forgotten in
more complex models: it is important to focus on the
parameterization of the flux at the surface and on the
flux in the inversion layer. The flux in between is
automatically linear if sufficient mixing is present in
the scheme.

K-Closure Based on Local Stability

A fairly simple closure for models that resolve the
boundary layer explicitly is K-closure. This scheme
(developed by Louis for the ECMWF model) has
become very popular in numerical weather prediction
and climate models. It follows MO similarity and, in
analogy with molecular diffusion, fluxes are assumed
to be proportional to gradients:

u0w0 ¼ �Km
qU
qz

v0w0 ¼ �Km
qV
qz

½35�

w0y0 ¼ �Kh
qy
qz

w0q0 ¼ �Kh
qq
qz

½36�

The exchange coefficients formomentumKm and heat
and moisture Kh are not a property of the fluid but
depend on the flow. Surface layer similarity provides
expressions for Km and Kh near the surface which are

Km ¼ l2

f2
m

d~UU

dz

�����
����� Kh ¼

l2

fmfh

d~UU

dz

�����
����� ½37�

The turbulence length scale l ¼ kz in the surface layer,
with k for the von Karman constant (0.4), and fm and
fh are theM–O stability functions formomentum and
heat/moisture. This scheme is the differential form of
what has been described above for the surface layer
with fm;h ¼ ð1� Z qC=qZÞ, with Z ¼ z=L. Although
these stability functions strictly apply to the surface
layer only, they are also used above the surface layer,
but the length scale has to be limited for large z, which
is done by applying an asymptotic value l in the
following way

1

l
¼ 1

kz
þ 1

l
½38�

Typical values for l are in the range of 100 to 500m.
This formulation works quite well for boundary layer

�wΘ

γ =�Θ/∂z

∆Θ �wh

�ws

Θm

z=h

z

Figure 3 Schematic profile of potential temperature (y) and

kinematic heat flux profiles (w 0y0) in a simple slab model of the

mixed boundary layer.
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turbulence but is too active in the upper troposphere,
where clear-air turbulence can be significant. There-
fore more recent versions of the scheme gradually
reduce the length scale in the upper troposphere
by multiplying the length scale resulting from eqn
[38] by bþ ð1� bÞ=ð1þ z=laÞ, with b ¼ 0:2 and la ¼
4000m, which reduces the length scale to 20% of eqn
[38] for heights well above 4000m.

The expressions in eqn [37] contain the M–O
stability functions fm and fh, which are functions of
l=kL (i.e. z=L in the surface layer), which depend
on fluxes. However, in a numerical model it is
necessary to express the eddy diffusion coefficients in
terms of model variables. The following relation
between the gradient Richardson number and l=kL
can be used:

Ri ¼ g

yv

dyv=dz

jd~UU=dzj2
¼ l

kL

fh

f2
m

½39�

The computational procedure is that the Ri number is
computed from the model variables and that eqn [39]
is solved to find l=kL, which is substituted in
eqn [37] to obtain the eddy diffusion coefficients.
Depending on the precise form of the stability func-
tions, it may be necessary to solve eqn [39] iteratively
or to store the relation between Ri and l=kL in a
lookup table.

A numerically more efficient way of formulating
this scheme is to put the empirical stability informa-
tion in functions of the Richardson number. The eddy
diffusion coefficients are expressed now in the follow-
ing way:

Km ¼ l2Fm
d~UU

dz

�����
����� Kh ¼ l2Fh

d~UU

dz

�����
����� ½40�

where Fm and Fh are empirical functions of the
Richardson number and by definition Fm ¼ f�2

m and
Fh ¼ ðfmfhÞ�1. Equation [40] is actually the closure
equation that is used in many numerical weather
prediction and climate models. This formulation is
known as the ‘Louis scheme’. It is fully consistent with
MO similarity in the surface layer and also with the
concept of ‘local scaling’ for the stable boundary layer.
Typical stability functions are

Rio0 Fm ¼ 1� 2bRi

1þ chð�RiÞ1=2

Fh ¼ 1� 3bRi

1þ chð�RiÞ1=2
½41�

Ri > 0 Fm ¼ 1

1þ 2bð1þ dRiÞ�1=2

Fh ¼ 1

1þ 3bð1þ dRiÞ1=2
½42�

ch ¼ l2

ð3z2Þ b ¼ 5 c ¼ 5 d ¼ 5 ½43�

An unsatisfactory aspect of the Louis scheme is that
the stability functions Fm ¼ FmðRiÞ andFh ¼ FhðRiÞ in
numerical weather prediction and climate models are
inspired by large-scale model performance rather than
by observational studies. For the unstable boundary
layer the results are not very sensitive to the precise
form of the stability functions, because the diffusion
coefficients are large and the result will always be a
well-mixed layer. However, in the stable boundary
layer, results are very sensitive to the stability func-
tions. Figure 4 shows two versions of functions that
have been used in the ECMWF operational weather
prediction model (LTG – after Louis, Tiedtke, and
Geleyn – and a revised version of LTG) comparedwith
functions that are observationally based for stable
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LTG, which are two versions of functions used in the ECMWF

model; and a version derived from observationally based MO

functions.
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situations. The stability functions typically used in
numerical models have much more mixing at high
Richardson numbers than observed, but application
of the observed MO functions leads to too stable
near-surface layers as the result of a positive feedback
with the land surface temperatures. The reason for the
poor performance of observationally based functions
in numerical models is a matter of speculation
at this stage. A number of reasons have been
suggested, e.g.: (1) gravity waves at the top of
the boundary layer propagating into the stable
boundary layermight break and cause extra diffusion,
(2) if the nighttime cooling is not distributed uniformly
in the horizontal then mesoscale motion can maintain
a higher level of mixing, and (3) effects of hetero-
geneity average nonlinearly and enhance the mean
mixing. More research is obviously needed to clarify
the missing physics and to find new formulations that
are adequate for large-scale models. Currently there
are some interesting developments suggesting that
nonlocal aspects play a role. The idea is that the
stability above the stable boundary layers affects the
mixing in the stable boundary layer by gravity wave
interaction.

Other unsatisfactory aspects of theLouis scheme are
that for the mixed layer the fluxes can be up-gradient
(counter-gradient effects), and that entrainment at the
top of the mixed layer is virtually zero with this
formulation.

K-Profile Closure

An interesting closure which has been proposed by
Troen and Mahrt for low-resolution models as an
alternative to the Louis scheme is theK-profile closure.
In this scheme the eddy diffusivity concept is used
(eqns [35] and [36]), but the diffusion coefficients are
specified as an integral profile for the entire boundary
layer. The expressions for the stable boundary
layer and for the unstable surface layer ðz=ho0:1Þ
are

Km ¼ kwsz 1� z

h

� �2
½44�

Kh ¼ kwsz 1� z

h

� �2
Pr�1 ½45�

ws ¼ un

fh

Pr ¼ fh=fm ½46�

In the unstable outer layer the same expressions are
used except that ws and Pr are evaluated at z ¼ 0:1h
and that a counter-gradient term is introduced in the

heat and moisture equations:2

w0y0 ¼ �Kh
qy
qz

� gy

� �

w0q0 ¼ �Kh
qq
qz

� gq

� �
½47�

gy ¼ C
ðw0y0Þ0
wsh

gq ¼ C
ðw0q0

0Þ
wsh

C ¼ 8 ½48�

If the stability functions obey free convection scaling,
this closure will automatically provide a velocity
scale ws ¼ ðu3

n
þ C1w

3
n
Þ1=3, with C1 ¼ 0:6 and wn ¼

ðhwyv0g=yvÞ1=3.
An essential part of this scheme is the diagnosis of

the boundary layer top h, for which the following
expression is used:

h ¼ RicðU2
h þ V2

hÞ
ðg=yvÞðyvh � yvsÞ ½49�

Parameter Ric is a critical Richardson number with a
numerical value of about 0.5, yvs a virtual potential
temperature somewhere in the surface layer (say 10m
above the surface), and yvh the virtual potential
temperature at height h. For the convective boundary
layer the temperature yvs is augmented with the
temperature excess that thermals have with respect
to their surroundings:

yvs ¼ yv þD
ðw0y0vÞ0

ws
w D ¼ 6:5 ½50�

Different versions of this scheme are in use. The
original scheme as described here leads to a too rapid
boundary layer growth, and therefore different mod-
ifications have been proposed. One of them is not to
use the absolute wind speed at boundary layer height
but to take the difference between the wind at level h
and the wind at the 10m level.

The boundary layer top entrainment is not very well
controlled in theoriginalK-profile schemeanddepends
on the vertical distribution of levels. Therefore it has
been proposed not to use theK-profile in the inversion,
but to parameterize the diffusion in the entrainment
layer by imposing a virtual temperature flux of 20% of
the surface value (as is done in bulk models).

The K-profile has a few major advantages.
The first is its robustness from the numerical point
of view. The reason is that no oscillations in
K-profile can occur because it is specified (the Louis

2The counter-gradient term is an extension of the eddy diffusivity

concept and reflects the effect of large eddies in the convective
boundary layer that cause transport irrespective of the local

gradient.
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scheme has the well known difficulty that it can easily
lead to nonlinear instabilities for long time steps). The
second advantage is that the nonlocal aspects of the
scheme allow for entrainment at the boundary layer
top. In the original formulation, the entrainment is
highly dependent on the vertical discretization, but
imposing an entrainment flux cures the problem
reasonably well. Finally, the scheme has a simple way
of representing the counter-gradient effects, which are
physically realistic, although it is not entirely clear yet
how important they are in real applications.

Figure 5 illustrates the effect of boundary layer top
entrainment on themixed-layer moisture budget. Two
versions of the ECMWF model are compared with
observations in short-range forecasts. The first version
uses the Louis scheme (with LTG functions), but as
discussed in the previous section, the scheme has no
entrainment at all. The second scheme uses K-profile
closure with an imposed entrainment rate of 20%. It is
clear that the entrainment of dry air from above the
boundary layer leads to a differentmoisture balance in
the mixed layer and to a better correspondence with
observations.

Higher-Order Closure

The closure problem can be taken to another level by
writing equations for the second moments. The
resulting equations have triple correlations and pres-
sure–velocity correlations that are unknown and need

closure assumptions. Many different formulations
have been proposed; most of them are truncated
versions of the full second-order equations. A good
overview is given byMellor andYamada (1982), and a
number of implementations in large-scale models
exist. The simplest ‘higher’-order closure is the one
inwhich the turbulence kinetic energy equation is used
to estimate the velocity scale in the turbulent diffusion
coefficients for momentum, heat, and moisture:

dE

dt
¼� u0w0 qU

qz
� v0w0 qV

qz
� g

yv
w0y0v

� q
qz

E0w0 þ p0w0

r

� �
� e ½51�

Km ¼ cmlmE
1=2 Kh ¼ chlhE

1=2 ½52�
At the right-hand side of eqn [51], the first two terms
represent the mechanical production of turbulence
kinetic energy by shear, the third term the buoyancy
term,which is a source term inunstable situations and a
sink term in stably stratified flow, the fourth the
diffusion of turbulent energy by pressure fluctuations
and by turbulence (it cancels out when vertically
integrated), and the last ðeÞ the dissipationof turbulence
kinetic energy by molecular friction (conversion into
heat). Parameters cm and ch are empirical constants.

Before the energy equation can be used it needs
closure equations for the diffusion term and for the
dissipation term. Also, the length scales need to be
specified. The diffusion term can be closed by making
the energy diffusion proportional to the gradient of the
energy profile (K-diffusion) and by selecting a diffu-
sion coefficient proportional to the ones for momen-
tum or heat. The dissipation term is always
parameterized in terms of the velocity and length
scales of the energy-containing eddies (i.e., E3=2=l)
following the idea that the large eddies control the
amount of energy that is transferred on the energy
cascade towards the dissipating scales. The main
advantage of the turbulent kinetic energy approach is
that it has a natural way of generating boundary layer
top entrainment. The energy produced by shear and
buoyancy (mainly in the bulk of the boundary layer) is
transported upward by the diffusion term into the
inversion layer where it is absorbed by the negative
buoyancy term (see Figure 6 for an illustration of the
energy budget in the convective boundary layer).

Many different formulations exist for the length
scale, varying from simple empirical functions of, e.g.,
height above the surface, stability, and boundary layer
depth, to full prognostic equations. A popular alter-
native to the prognostic equation for the length scale is
a rate equation for the dissipation rate with the length
scale derived from l � E3=2=e. The advantage is that
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the length scale is a parameter that varies with
environmental conditions (e.g. stability). However,
parameterization of the unknown terms in the dissi-
pation as well as length scale equations is very difficult
and data to support such parameterizations are
virtually non-existent.

Simplification of the full second-order equations to
algebraic equations is an attractive alternative com-
pared with the full equations. The eddy diffusivity
terms and the counter-gradient terms come out rather
naturally. Many flavors of such approximations exist
and it is beyond the scope of this chapter to discuss
them. A good overview of different levels of approx-
imation is given in Mellor and Yamada (1982) and
Holtslag and Duynkerke (1998).

The level of complexity needed depends very much
on the application. Important aspects in numerical
weather prediction and climate models are entrain-
ment, stable boundary layer diffusion, interactions
with the cloud scheme, and perhaps counter-gradient
effects. In a simulation of the internal boundary layer
after a step change in surface roughness, simplemodels
work well for the wind profiles, but energy and length
scale (or e) equations are needed to simulate the
perturbed relations between fluxes and profiles. If one
is interested in the evolution of the flowover a low hill,
simple closure may do, but for the realistic simulation
of the stress it is necessary to use an advection equation
for the stress.

Cloudy Boundary Layer

Boundary layer clouds have a strong impact on the
boundary layer structure. The latent heat release due
to condensation affects the buoyancy generation of

turbulence and the radiative effects of the clouds can
change the energy budget of the boundary layer
completely. Mixed layers which are driven by surface
heating in the dry case can equally be maintained by
radiative cooling at the cloud top as in a stratocumu-
lus-topped boundary layer. Fog also becomes well
mixed because of radiative cooling at the top as soon it
is sufficiently thick. Shallow cumuli (e.g. in the trades)
are very important for the drying of the boundary layer
in the subtropics (boundary layer ventilation) and
therefore have a strong influence on the hydrological
cycle. Finally, clouds are an important forecast prod-
uct in numerical weather prediction and are an
important modulator of the atmospheric radiative
budget.

Standard turbulence schemes can be extended
rather easily to situations with full cloud cover. An
example is stratocumulus or fog. In this case it is
necessary to formulate the diffusion in terms of moist
conserved variables (e.g., yl and ql) and to express the
buoyancy in these variables. The latter is nontrivial,
because owing to the latent heat release in clouds and
the water loading, the formulation changes at cloud
base (see eqns [6] and [7] and Stull 1988 for a
discussion). A stratocumulus layer can be well mixed
in the sense that the moist conserved variables are
fairly uniform from the subcloud layer to the cloud top
as the result of mixing through the entire boundary
layer mainly driven by cloud top cooling. The key
aspect in the modelling of a stratocumulus layer is the
cloud top entrainment, which is not well understood.
However, simple empirical relations exist (see Lock
1998). They couple the buoyancy flux in the inversion
layer to the cloud top radiative cooling (see Holtslag
and Duynkerke 1998) rather than to the surface
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buoyancy flux as in the dry mixed layer. That the
boundary layer top entrainment is highly relevant in
large-scale models is clear from the experience that
models fill up large areas over the ocean with clouds
when entrainment is not present or too small, and that
stratocumulus disappears altogether when the top
entrainment is too strong.

Short-wave radiation is another important factor in
the evolution of a stratocumulus layer. In contrast to
long-wave radiation, which acts over a very shallow
layer near the cloud top, solar radiation penetrates
much deeper and therefore has the effect of enhancing
buoyancy and decoupling the cloud layer from the
subcloud layer. This can lead to breakup of the cloud
owing to two mechanisms. First, a stable layer near
cloud base can be created which shuts off the moisture
supply from the surface and, second, the enhancement
of entrainment leads to additional drying of the cloud
layer. Proper modelling of the effects of solar radia-
tion, the diurnal cycle, and decoupling is still very
difficult.

Figure 7 illustrates the energy budget in a strato-
cumulus layer from a simulation with a turbulence
energy equation and a dissipation equation. The
advantage is that no velocity and length scales
need to be selected, because they are both dynamically
determined by the two equations. It is clear
from the figure that the structure of the energy
production is very complex, with a clear jump in the
buoyancy term at cloud base. The diffusion term
(labelled ‘transport’ in Figure 7) transports energy
from the areas with production to stably stratified
areas, e.g. the inversion.Depending on the fluxes at the
surface and at the top, the buoyancy minimum near
cloud base can be negative, i.e. turbulence is damped

here and so-called decoupling can occur. It is obvious
that bulk mixed-layer models, which can be used for a
stratocumulus layer, break down when decoupling
occurs.

Much more complex is the situation where partial
cloudiness occurs as in fair-weather cumulus or trade
cumulus. Cumulus clouds are the result of condensa-
tion of the most powerful updrafts in the subcloud
layer, and play an active role through the latent heat
release in the cloud. There are two basic ways of
handling the effects of shallow cumulus on themixing:
(1) to have a separate scheme to represent the
mixing in the cloud layer in addition to a dry boundary
layer scheme, and (2) to have a moist turbulence
model with a partial condensation scheme for the
clouds.

The idea of having a shallow convection scheme
separate from turbulent diffusion is inspired by the
observation that the processes are rather different.
Althoughmoist updrafts originate in the dry boundary
layer, only some of the dry thermals make it into a
cloud. Furthermore, analysis of turbulence generated
by large eddy models suggests that transport in a
shallow convection layer is most suitable for a mass
flux scheme, whereas turbulent diffusion is more
difficult to represent by mass flux transport only. The
disadvantage of such a process-splitting approach is
that it creates difficulties in the transition from one
process to the other at cloud base and that the
transition to stratocumulus is not very well handled.
In the latter case amoist boundary layer schemewould
be needed, but such a scheme overlaps toomuchwith a
shallow convection mass flux scheme. Currently initi-
atives are underway to improve the coupling between
schemes either by intelligent switching between
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schemes or by making a gradual transition between
turbulent gradient diffusion and amass flux approach.

The second way of handling clouds in the boundary
layer is touse informationon the fluctuations inT andq
to decide about the cloud cover (as illustrated in Figure
8). The turbulent diffusion has to be formulated in
terms of moist variables and the partial cloudiness has
tobediagnosedmakinguseofdistribution functions for
temperature and total water. Research has focused on
the shape of the distribution functions and on the way
to couple them to turbulence schemes. Experience with
large-scale models is that turbulence schemes tend to
underestimate the variances (e.g., inT andq),whichare
needed to support a partial condensation scheme (see
Smith 1990). A possible explanation is that mesoscale
variability has a nonnegligible effect on cloud fraction.

Nomenclature

Ch transfer coefficient for heat
Chn neutral transfer coefficient for heat
Cm transfer coefficient for momentum
Cmn neutral transfer coefficient for momentum
cp specific heat at constant pressure ðJ kg�1 K�1Þ
Cq transfer coefficient for moisture
Cqn neutral transfer coefficient for moisture
d=dt total derivative q=qt þUq=qxþ Vq=qyþ

Wq=qz (s�1)
E turbulence kinetic energy (m2s�2)
Fh Louis heat stability function of Ri
Fm Louis momentum stability function of Ri
g gravitation constant (m s�2)
h boundary layer depth (m)

k von Karman constant
kh turbulent diffusion coefficient for heat/moist-

ure ðm2s�1Þ
km turbulent diffusion coefficient for momentum

ðm2s�1Þ
l mixing length (m)
L Obukhov length (m)
Lv latent heat of vaporization of water (J kg�1)
p presssure (Pa)
p0 surface pressure (Pa)
q specific humidity (kg kg�1)
ql liquid water/ice content (kg kg�1)
qsat saturation specific humidity (kg kg�1)
qt total water content (kg kg�1)
R gas constant (J kg�1 K�1)
Ri gradient Richardson number
Rib bulk Richardson number
s dry static energy (J kg�1)
sl liquid water static energy (J kg�1)
sv virtual dry static energy (J kg�1)
t time (s)
T temperature (K)
U velocity in x direction (m s�1)
un friction velocity (m s�1)
V velocity in y direction (m s�1)
W velocity in z direction (m s�1)
wn free convection velocity scale (m s�1)
we entrainment velocity (m s�1)
x horizontal coordinate (m)
y horizontal coordinate (m)
z vertical coordinate (m)
z0h roughness length for heat (m)
z0m roughness length for momentum (m)
z0q roughness length for moisture (m)
g lapse rate above boundary layer (K m�1)
D temperature jump at boundary layer top (K)
e turbulence dissipation rate (m2 s�3)
y potential temperature (K)
yl liquid water potential temperature (K)
yv virtual potential temperature (K)
l asymptotic mixing length (m)
n kinematic viscosity (m2 s�1)
r density (kg m�3)
fh MO gradient stability function for heat
fm MO gradient stability function for momentum
�ww averaged w
~ww vector w
w0 fluctuation of w
w0 w value at the surface (for fluxes)
w1 w value at lowest model level
wh w value at boundary layer top
wm mixed layer value of w
ws w value at surface
Ch MO integral stability function for heat
Cm MO integral stability function for momentum

q

q

T0
T

�T

�q

Cloudy air
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Figure 8 Illustration of how information on the variability of q and

T can be used in a partial condensation scheme to estimate could

fraction.
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Introduction

Permafrost, ground that remains at or below 01C
for two or more years, underlies about a fifth
of the land surface of the Earth. Permafrost terrain
consists of an active layer at the surface that freezes
and thaws each year, underlain by perennially frozen
ground. The top of permafrost is at the base of the
active layer, and the base of permafrost occurs where
the ground temperature rises above 01C at depth
(Figure 1).

The first scientific reports on permafrost were
published in the 1830s by the Royal Geographical
Society of London. These papers reported the thick-
ness of frozen ground in awell at Yakutsk, Russia, and
provided instructions to officers of the Hudson’s Bay
Company on describing the phenomenon. The first
systematic study published in English of perennially
frozen ground was prompted by strategic considera-
tions in World War II, when the Alaska Highway was
built through northernBritishColumbia andYukon to
Alaska, with the associated Canol Pipeline. At that
time, the term ‘permafrost’ was coined by S.W.Müller
as a contraction of ‘permanent frost’.
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Figure 1 Schematic temperature profiles in permafrost, illustrat-

ing the annual maximum and minimum temperatures. Annual

mean permafrost surface temperature, Tps, is obtained by

extrapolating the common linear portion of the profiles upwards.

Soil particleeffects, solutes, andhydrostatic pressuredecrease the

phase equilibrium temperature so that a layer just above the base

of the permafrost does not contain ice. The change in slope of the

temperature profile at the base of ice-bearing permafrost is caused

by the difference in thermal conductivities between the frozen and

unfrozen ground.
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Permafrost grows by freezing from its base down-
ward or, when new material is added to the ground
surface, from the top upwards, or by a combination of
these processes. The first permafrost on Earth likely
formed prior to or during the first ice age about 2.3
billion years ago, and its occurrence, distribution, and
thicknesses have varied in response to repeated ice ages
throughout Earth’s history.

There is scientific and geotechnical interest
in permafrost principally because it contains ice,
is close to its thawing point, and is sensitive to
changes in surface conditions caused by human
activities and climate. Temperatures in permafrost
present retrievable records of past climate, and
climatic change commonly leaves an imprint on the
stratigraphy of ground ice. Ice-rich permafrost con-
tains ice in excess of the water content at saturation,
with the ice masses commonly distributed as lenses,
millimeters to centimeters in thickness, within the
ground.Massive ground ice with dimensions typically
frommeters to tens ofmeters also occurs in permafrost
(Figure 2).

Occurrence, Distribution, and
Thickness

The spatial extent of permafrost generally changes
with climate, but there can be considerable regional
variation because of snow cover and other factors.
Over half of Canada and Russia, most of Alaska, and
north-east China are underlain by continental perma-
frost, while alpine permafrost is found at high
elevations in middle and low latitudes (e.g., the
summit of Mauna Kea in Hawaii). Some permafrost
is found in Scandinavia, but the spatial extent is much
less than at corresponding latitudes ofNorthAmerica,
because of the warming influence of the Gulf Stream.
Permafrost containing water ice and other ices is
known to exist on Mars and on other bodies in our
solar system.

Permafrost regions are divided into zones with
varying spatial extent of perennially frozen ground. In
the continuous permafrost zone (Figure 3), more than
90%of the ground is underlain by permafrost, and it is
usually absent only beneath rivers and lakes that do

Figure 2 Massive ground ice exposed at the Beaufort Sea coast near Tuktoyaktuk, Northwest Territories. The ice was formed during

permafrost aggradation after deglaciation, with water supplied from the underlying sands. Banding indicates variations in the

concentration of sediment suspended in the ice. Undulation of the banding indicates displacement of the ice subsequent to formation.

(Photograph by J. R. Mackay. See Mackay JR and Dallimore SR (1992) Massive ice of the Tuktoyaktuk area, western Arctic coast,

Canada. Canadian Journal of Earth Sciences 29: 1235–1249.)
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not freeze to their bottom in winter. At continental
scale, the limiting annual mean air isotherm for
continuous permafrost is about �81C. At warmer
temperatures, variations due to microclimatic effects
lead to a zone ofwidespread discontinuous permafrost
where 50 to 90% of the ground is underlain by
permafrost. In the sporadic discontinuous permafrost
zone, 10 to 50% of the ground is underlain by
permafrost.

Subsea permafrost formed during glacial periods,
when lower sea levels exposed large areas of the polar
continental shelves. The cold air temperatures and
long periods of exposure allowed permafrost to grow
there to great depths. Thicknesses of several hundreds
of meters are known to exist in these shelves and, at
present, this permafrost is slowly degrading beneath
the relatively warm and salty ocean. However, several
tens of thousands of years are required to thaw it
completely.

The distribution and thickness of permafrost are
controlled by factors that influence its heat balance
and heat flow within it. Since pore spaces in
permafrost are generally blocked by ice, heat flow is
by conduction.While the presence of permafrost is due
primarily to climate, considerable modification of the
temperature between the atmosphere and permafrost

may occur, owing to vegetation, energy exchanges at
the snow–ground surface, transfer of heat through the
active layer, and local geological and hydrological
conditions. In particular, the winter snow cover
buffers the ground from frigid air temperatures, and
the annual mean ground surface temperature, Ts, is
commonly 2 to 41C warmer than the annual mean air
temperature, Ta. In the summer months, shade from
vegetation and a supply of soil moisture for evapora-
tion are two significant site variables that reduce the
ground surface temperature. Ta and Ts tend to be
similar at windswept sites where there is little snow
accumulation. Significant changes in ground tempera-
tures occur across the continental tree line, for within
the forest there is less wind at ground level than on the
tundra, and hence the snow is deeper, less dense, and a
better insulator.

Anorganic horizon at the ground surface commonly
assists the development and persistence of permafrost.
Dry moss and peat have low thermal conductivities,
reducing heat flow into the ground in summer.
However, autumn rain characteristically increases
the water content of the moss and peat, increasing
their conductivity (particularly when frozen) and
facilitating extraction of heat from the ground
in winter. These principles indicate why, near the
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Figure 3 Generalized map of the approximate distribution of permafrost in the north circumpolar region of the Earth. Direct data

(probing, drilling, sampling, temperature measurements) are scarce, so the map is somewhat unreliable, especially at local scales in

discontinuous permafrost. Subsea permafrost typically exists in the continental shelves of the Arctic Ocean where seabed temperatures

remain negative. (Adapted fromPéwé TL (1983) Alpine permafrost in the contiguousUnited States: a review.Arctic and Alpine Research

15: 145–156, by permission of the Regents of the University of Colorado).
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southerly limit for continental permafrost in North
America, permafrost generally occurs in peat lands
and under thick moss layers.

At regional scale, permafrost distribution may be
controlled by topography, in terms both of aspect,
modifying the receipt of radiation, and of cold
conditions brought by high elevation. However, in
the mountain and plateau regions of Alaska and
adjacent Canada, strengthening of winter inversions
by cold-air drainage into valley bottoms enhances
conditions for permafrost there.

The thickness of permafrost is commonly influenced
by geothermal heat flow and bedrock stratigraphy. At
continental scale, heat flow varies by a factor of four
between stable craton, where the flow is low, and
tectonically active terranes. This geothermal heat is
conducted through the permafrost where the tem-
perature gradient varies with the thermal conductivity
of the bedrock. At local and regional scales, the
movement of groundwater carries heat that can
modify the spatial distribution and thickness of
permafrost. Under equilibrium conditions where a
constant annual mean permafrost surface tempera-
ture, Tps, has existed for a long time, the thickness of
homogeneous permafrost, Ze, is governed by Tps, the
thermal conductivity of permafrost, Kp, and the
geothermal heat flow, J, where (from Fourier’s law)

Ze � Kp

J
Tps ½1�

Equation [1] provides reasonable estimates ofZe when
Tps remains near its long-term value or has been close
to it for a sufficient period. While Ta is the principal
variable governing Tps, the values differ owing to the
effects of snowcover, the active layer, andother factors
mentioned above.

Properties and Processes

Unfrozen Water and Ice

Seasonally frozen ground and permafrost contain
unfrozen water (Figure 4) and ice in equilibrium at
temperatures less than 01C as a result of the effects of
soil particles and solutes. In the absence of solutes,
temperature, T, and the soil’s specific surface area, S,
are the primary determinants of the amount of
unfrozen water, yu, and are empirically related by

ln yu ¼ 0:2618þ 0:5519 ln S

� 1:449S�0:264 ln jTj ½2�
where yu is in percent. Unfrozen water reduces ground
thermal conductivity and distributes latent heat over a
range of temperatures, so that temperature changes

require freezing or thawing throughout the frozen
ground. These effects retard the thermal response of
the active layer and permafrost.

Frost Heave

Unfrozen water is also responsible for the develop-
ment of ice lenses in the ground during freezing,
leading to local uplift (heave) of the surface. Thewater
occurs in mobile films on particle surfaces, where it is
held in tension. Water flows along the tension and
thermal gradients in the films to cooler regions of the
ground. When the water content in the freezing soil
exceeds saturation, the excess volume separates soil
particles to form layers, or lenses, of segregated ice. Ice
segregation and frost heave characteristically occur in
fine-grained soils, where the unfrozen water content is
sufficiently large to conduct water into the freezing
ground. In coarse-grained soil, the unfrozen water
content is small and the permeability is too low to
allow water migration during freezing. In saturated,
coarse-grained soil, the expansion of water during
freezing is accommodated by expelling the excess
water into unfrozen ground ahead of the freezing
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front. When the freezing system is closed, pore-water
expulsion may also lead to heave as hydrostatic
pressure deforms the overlying frozen ground.

Active Layer

Permafrost is separated from the atmosphere by a
boundary layer consisting of the active layer and
vegetation in summer with the snow cover added in
winter. The active layer transmits heat to and from
permafrost, reduces the amplitude of thermal varia-
tions at the top of permafrost compared with the
ground surface, is the medium through which moist-
ure and gases are exchanged between the permafrost
and the atmosphere, and provides water and nutrients
for biological processes. In permafrost terrain, the
active layer supports plant and animal communities
since virtually all biological activity below ground
occurs within it.

Permafrost immediately below the active layer is
characteristically ice-rich. This ice-rich zone acts as an
impermeable barrier to drainage, so much permafrost
terrain is wet. The ice-rich zone is the reason
permafrost terrain is considered sensitive to distur-
bance, for deepening of the active layer commonly
leads to subsidence (thaw settlement) and accelerated
erosion as the ice melts.

In a dry active layer,Ts � Tps; however, in awet one,
there is an asymmetry in heat flow because the frozen
thermal conductivity, Kf, exceeds Kt, the thawed
conductivity. This makes Ts warmer than Tps and the
difference is the thermal offset (Figure 5)

Tps � Ts ¼ It
P

Kt

Kf
� 1

� �
½3�

where It is the thawing index at the ground surface and
P is the period (365 days).

Once the snow melts, the ground surface warms
above 01C and thawing of the active layer begins
(Figure 6). In a simplified model, its maximum
thickness is

X �
ffiffiffiffiffiffiffiffiffiffiffi
2KtIt
h

r
½4�

where h is the volumetric latent heat of the ground,
which depends on the ice content. The thickest active
layers (1 to 2m or more) develop in dry materials,
characteristically bedrock, sand, and gravel. Thin
active layers are common in wet organic soils, where
there may be considerable amounts of ice at the
beginning of summer, and where the thermal con-
ductivity of a dry surface layer is very low.The thinnest
active layers, less than 30 cm thick, occur in the High
Arctic, owing to short, cool summers.

The active layer typically reaches X and begins
freezing upward from the bottom when Ts >0�C, one
or two weeks before freezing downward from the
surface. Temperature changes during freezing are
retarded by the presence of unfrozen water for a few
weeks in cold permafrost and formuch of thewinter in
warm permafrost. The rate of freezing down from the
surface depends on the amount and timing of the early
winter snow cover and on the thermal conductivity
and moisture content of the active layer. Freezing may
be slow if a deep snow cover is established early in
winter on a wet active layer. Temperatures in the
portion of the active layer that remain thawed are
constrained near 01C, a phenomenon termed the ‘zero
curtain’, until freezing is complete.

Thermal Regime

A temperature profile in permafrost that is homo-
geneous, does not contain unfrozen water, and is in

1.0

0.8

0.6

0.4

0.2

0.0

D
ep

th
 (

m
)

−1.0 −0.5 0.0 0.5 1.0 1.5 2.0 2.5

Mean temperature (°C)

Hogan Hill
annual mean
temperature

profiles

86/87
87/88
88/89
89/90
90/91
91/92

Figure 5 Annual mean temperature profiles in the active layer

showing the effects of thermal offset. In the context of climatic

change, thermal offset allows permafrost to survive changes that

produce annual mean ground surface temperatures warmer than

01C over multiyear periods as shown at this site. (Adapted with

permission from Osterkamp TE and Romanovsky VE (1999)

Evidence for warming and thawing of discontinuous permafrost in

Alaska. Permafrost and Periglacial Processes 10: 17–37.)

PERMAFROST 1721



equilibriumwith a constant long-termTps, is a straight
line described by Fourier’s law (seasonal variations
near the surface and freezing point depression near the
base cause deviations from a straight line). However,
the thermal regime of permafrost is often character-
istically different during its formation and growth,
after surface temperatures change, and during thaw-
ing. Prior to permafrost formation, interannual
variability in Ts and in conditions within the season-
ally frozen layer can cause the depth of freezing to
exceed the depth of thawing during the following
summer, resulting in a temporary layer of frozen
ground. Ts can be significantly positive when this
occurs, owing to thermal offset. A long-term shift in
conditions allows such a layer to persist and grow,
creating a thickening layer of permafrost with time.
When the permafrost freezes from its base downward,
the solution of the Stefan problem yields the approx-
imate depth to the bottom of the growing permafrost
at time t:

Z �
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
2Kpð�TpsÞt

h

r
½5�

In eqn [5], Kp and h depend on ground properties.
Equation [5] neglects geothermal heat flow and the
effects of freezing point depression near the base of
permafrost (Figure 1). It reduces toZ � constant n

ffiffi
t

p
,

where the constant is typically about 1 to 5 for a wide
range of conditions,where t ismeasured in years andZ
in meters.

In principle, permafrost grows untilZ ¼ Ze, when it
is in equilibrium with Tps. However, in reality, Tps is
variable over the long time scales needed to grow even
relatively thin permafrost, resulting in permafrost
thicknesses that vary with long-term variations in Tps

(Figure 7).
A change in Tps (warming or cooling) produces a

curvature in the temperature profile that penetrates
deeper with time (Figure 8). The magnitude of the
change at any depth can be obtained from the
measurements and the timing can be calculated from
the maximum depth of penetration of the thermal
signal. For permafrost with thicknessZ, the time scale
required for the temperature profile to respond to a
new surface condition is

t � Z2

4D
½6�

where D is the thermal diffusivity of the permafrost.
Freezing or thawing at the bottom of the permafrost
begins once the thermal disturbance has penetrated
there, with calculated rates in thick continuous
permafrost that are typically millimeters per year
(Figure 7).
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When Tps � 0�C, interannual variability in Ts and
conditions within the active layer may cause the depth
of summer thaw to exceed the depth ofwinter freezing,
resulting in a temporary residual thaw layer between
seasonally frozen ground and permafrost. Ts can be
significantly positive when this occurs, and interann-
ual variabilitymayallow the layer to refreeze and thaw
repeatedly. If the conditions that caused the warming
persist, the layer may become too thick to refreeze.
Then, the permafrost is decoupled from the atmo-
sphere and warms continuously throughout the year.
An equation similar to [5] can be obtained for the
thickness of the thawed layer above permafrost.
Thawing rates at the top of the permafrost depend
on the temperatures at the bottom of the former active
layer, Kt, and h and can be a few tenths of a meter per
year for near-surface permafrost. While the perma-
frost is thawing, temperatures within it warm very
slowly as they approach 01C (Figure 9) because of the
effects of unfrozen water.

Geomorphic Features

There are three principal geomorphic features unique
to permafrost terrain: pingos (conical ice-cored hills)
and ice-wedge polygons, both associated with perma-
frost aggradation; and thermokarst terrain, associated
with ground thawing. Pingos may form in the
unfrozen sandy sediments of drained-lake bottoms

that are completely surrounded by permafrost. After
drainage, lake sediments freeze primarily from the top
downward and from the sides and bottom of the talik
(the unfrozen layer) inward. Freezing of the sands
results in pore-water expulsion into the enclosed talik,
increasing hydrostatic pressure there. The increased
pressure lifts the permafrost, and the water freezes in
place, to create a core of ice in the mound (Figure 10).
Pingos grow until the talik freezes completely. There
are 1350 pingos in Canada’s western Arctic, and the
largest, Ibyuk Pingo, is 50mhigh, over 1200 years old,
and is growing about 2 cm taller annually. Pingos are
also found at the base of hill slopes, where the pressure
to lift permafrost may be provided by confined
groundwater flowing down slope.

Ice-wedge polygons are ubiquitous in continuous
permafrost terrain, where cracks occur in the perma-
frost as a result of thermal contraction in winter. The
cracks relieve thermal stress approximately normal to
their axes, yielding a polygonal network that may
subdivide further as more cracks form. Ice wedges
begin to grow in the cracks when spring snowmelt
infiltrates themand freezes to formnear-vertical sheets
of ice. Repetition of the process over many years leads
to development of wedges of ice, which commonly
extend downwards from the base of the active layer for
about 4m (Figure 11), although some exceed 10m in
depth. Polygons are clearly expressed in lowlands, but
movement of the active layer commonly obscures
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them on hill slopes. Ice-wedge growth deforms the
surrounding ground to accommodate the additional
volume. Growth of the ice wedges often forces the
adjacent ground upwards and laterally, creating a
trough above the ice wedge.

Warming or disturbance to permafrost terrain
usually leads to deepening of the active layer and
thawing of the ice-rich zone at the top of permafrost or
of near-surface massive ground ice, causing local
subsidence. This thaw settlement produces a pitted
relief, called thermokarst terrain. Drainage conditions
determine whether standing water will be present or
not. When depressions in thermokarst terrain collect
water, the disturbance to permafrost is enhanced,
leading to growth of thermokarst lakes. ‘Beaded’
streams occur when a series of pools (beads) form
along the stream as a result of thawing ice-rich
permafrost or large ice masses. Most features of
thermokarst terrain range from 1 to 100m in lateral
dimensions, although thermokarst lakes are often
larger. Thermokarst depressions up to 100 km2 in area

and 5 to 20m in depth form part of the landscape of
Siberia, where they are called ‘alasses’.

Thermokarst terrain also includes retrogressive
thaw slumps (Figure 12) that commonly develop
where ice-rich permafrost is exposed by erosion in
riverbanks, lakeshores, and along the coast, or by
other processes. These features, with a near-vertical
retreating headwall and a low-angled foot slope, are
the commonest form of landslide in permafrost
terrain. Landslides involving only the thawing active
layer also occur, particularly in areas of fine-grained,
ice-rich soil, when the active layer and vegetation
detach from the underlying frozen material. If ice-rich
permafrost or massive ground ice is exposed, the slope
failure may develop into a thaw slump.

Impacts of Climatic Warming

The Earth’s climate has generally warmed since the
mid-to late 1800s. In the Arctic and Sub-Arctic,
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permafrost has also warmed, particularly in Russia,
China, Mongolia, Alaska, and western Canada. In
Alaska, Tps for continuous permafrost warmed 2 to
41C over the last century followed by a cooling in the
early 1980s and then a warming of up to 31C since
then. In central Alaska and the Yukon Territory of
Canada, discontinuous permafrost has warmed since
1970 as a result of changes in air temperatures and
snow cover. While it has warmed typically 1 to 21C
since the late 1980s in Alaska, the ground has been
cooling in the Yukon owing to a reduction in snow
cover. In the Northwest Territories, warming of
permafrost by about 11C has been observed since the
early 1970s, but in northern Québec there has been
cooling. Such regional variations are to be expected as
a result of spatial climatic variability. However, the
general signal from the Northern Hemisphere indi-
cates permafrost warming, and in some areas perma-
frost is presently thawing at both top and bottom, the
southern boundary of the permafrost is moving
northward, and the occurrence of thermokarst terrain
is increasing.

Current global circulation models predict that air
temperatures in the Arctic will rise 2 to 51C during the
next half-century, with the warming in winter larger

than in summer and with more precipitation through-
out the year.While there is considerable uncertainty in
these predictions, warming of Tps by a few degrees
would have serious consequences for permafrost
regions, especially for discontinuous and sporadic
discontinuous permafrost.

In the continuous zone, the active layer, thaw lakes,
coastal processes, landscape processes, eolian activity,
and vegetation would be sensitive to climatic warm-
ing. The effect on the permafrost would be to warm it
and, possibly, to change the depth of the active layer.
Thawing at the base of the permafrost would start
several centuries or more later.

Since most of the discontinuous and sporadic
discontinuous permafrost is within a few degrees of
thawing, it can be expected to warm, to begin thawing
from the top and bottom with an increase in the
incidence of thermokarst terrain, and, eventually, to
disappear. Although many centuries would be
required for the permafrost to disappear, thawing of
the warmest permafrost from the top would begin
immediately.

Thawing of permafrost as a consequence of human
activities and as a result of the climatic warming since
the late 1800s serves as a model for what may be

Figure 10 Pingo near Wolf Lake, Richards Island, western Arctic coast, Canada, about 20m high, with the ice core exposed after

collapse of the central portion. The vertical extent of exposed ice in the far headwall is about 4m. (Photograph by C. R. Burn. SeeMackay

JR (1998) Pingo growth and collapse, Tuktoyaktuk Peninsula area, western Arctic coast, Canada: a long-term field study. Géographie

physique et Quaternaire 52: 271–323.)
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expected to occur with additional climatic warming.
Where permafrost contains massive ground ice or is
ice-rich, extensive differential thaw settlement has
occurred, with damage to the natural terrain and to
infrastructure. Human-induced thaw settlement is at
present responsible for damage to infrastructure
on permafrost where the built structures have
raised ground temperatures above 01C (Figure 13).
The magnitude of the thaw settlement is typically 1 to
3m, but can exceed 5m (vertical settling) of the
ground surface. Repair of the infrastructure is costly

and some structures, airports, and roads have been
abandoned.

Carbon and Trace Gases

Soils in northern regions may contain one-quarter to
one-third of the Earth’s total soil carbon pool, with
much of it stored in frozen peat in near-surface
permafrost. When permafrost thaws, the carbon
is cycled through terrestrial ecosystems with the
gaseous end products (CO2 and CH4) emitted to

Figure 11 Ice wedge exposed in a coastal bluff near Tuktoyaktuk, Northwest Territories, Canada, about 4m tall. The photograph was

taken inMay 1992, when thewinter’s thermal contraction crack was visible. (Photograph byC. R. Burn. SeeMackay JR (2000) Thermally

induced movements in ice-wedge polygons, western Arctic coast: a long-term study. Géographie physique et Quaternaire 54: 41–68.)
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the atmosphere. While the details of this process are
not well understood and are subject to environmental
constraints, there is evidence that tundra regions may
have shifted from being a carbon sink to a carbon
source.

Gas Hydrates

Temperature and pressure conditions within and
under thick permafrost are favorable for the formation
and existence of gas hydrates that are a potentially
abundant source of energy.Warmingof the permafrost
would eventually destabilize these hydrates, produ-
cing large quantities of gas (primarily CH4) that may
find its way into the atmosphere. Long time scales
(many centuries or millennia) are required for this
process. However, subsea permafrost in the continen-
tal shelves of theArcticOcean thatwas submerged and
warmed by seawater more than a few thousand years
ago could be emitting methane at present. Currently,
there is too little information to adequately assess this
problem.

Ecosystems

In areas of ice-rich permafrost, thaw settlement and
development of thermokarst terrain destroys the
substrate on which the current ecosystems rest,
dramatically changing the nature of the ecosystems.
The effects have been observed to include:

1. Destruction of trees and reduction in area of boreal
forest ecosystems.

2. Expansion of thaw lakes, grasslands, andwetlands.
3. Destruction of habitat for caribou and terrestrial

birds and mammals.
4. Formation of new habitat for aquatic birds and

mammals.
5. Coastal and riverbank erosion.
6. Clogging of salmon spawning streams with sedi-

ment and debris.
7. Slope instabilities, thaw slumps, landslides, and

erosion.
8. Talik development, with increasing depth to water

table.
9. Increased methane emissions in wet areas.

Figure 12 Headwall of a retrogressive thaw slump in ice-rich glaciolacustrine sediments near Mayo, Yukon Territory, Canada. Lenses

of segregated ice give the exposure its texture. The ice lenses developedwhenpermafrost formed in glacial lake sediments after drainage

of the lake at the endof the last glaciation. Adeepactive layer,which formedduring thewarmest climate of the last 10 000 years, left a thaw

unconformity in the sedimentsmarkedby theabrupt transitionbetween thedarker, lower, ice-richmaterial, and the lighter sediment above.

(Photograph byC.R. Burn. SeeBurnCR (2000) The thermal regime of a retrogressive thaw slumpnearMayo, YukonTerritory.Canadian

Journal of Earth Sciences 37: 967–981.)
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Thermokarst has been observed to result in the partial
or complete destruction of some ecosystems and their
conversion to other types of ecosystems. In one
lowland area in central Alaska, permafrost degrada-
tion is widespread and rapid, causing large shifts
in ecosystems from birch forests to fens and bogs
(Figure 14). If current conditions persist, the remain-
ing birch forests will be eliminated by the end of the
twenty-first century.

Nomenclature

D thermal diffusivity (m2 s� 1)
h Volumetric latent heat of the sediments (J m�3).
It Thawing index at the ground surface (usually

stated in 1C days).
J Geothermal heat flow, negative for a positive

temperature gradient, (W m� 2).

Kp Thermal conductivity of permafrost, (W m� 1

K� 1).
Kf Thermal conductivity of the frozen active layer,

(W m� 1 K� 1).
Kt Thermal conductivity of the thawed active layer,

(W m� 1 K� 1).
P Period of the annual temperature wave, (365

days).
S Soil specific surface area, (m2 g� 1).
t Time, (s).
T Ground temperature, (1C).
Ts Annual mean temperature at the ground surface,

(1C).
Tps Annual mean permafrost surface temperature,

(1C).
X Maximum thickness of the active layer, (m).
Z Thickness of permafrost at time, t, (m).
Ze Equilibrium thickness of permafrost, (m).

Figure 13 Longitudinal cracks in a road embankment near Fairbanks, Alaska. Snow removal during winter produces a berm along the

shoulder and slope of the embankment that warms the underlying ice-rich permafrost, causing it to thaw and settle. Settlement under the

shoulder and slope causes the edge of the embankment to tilt outward, putting the top surface of the embankment in tension, which

eventually results in cracks. Patches (darker asphalt) in the pavement are a result of two long cracks and the guardrail on the far side of the

road has sagged as a result of the thaw settlement. (Photograph by T. E. Osterkamp.)
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yu Unfrozen water content, (kg of water per kg of
dry soil, sometimes stated in percent).

t Time scale for a permafrost temperature profile
to respond to a new surface temperature,
(usually stated in years).

See also

Arctic Climate. Biogeochemical Cycles: Carbon
Cycle. Cold Air Damming. Energy Balance Model,
Surface.Global Change: Biospheric Impacts and Feed-
backs; Human Impact of Climate Change; Surface Tem-
perature Trends. Hydrology: Soil Moisture. Ice Ages
(Milankovitch Theory). Methane. Reflectance and
Albedo, Surface. Satellite Remote Sensing: Aerosol
Measurements; Precipitation; Temperature Soundings.
Snow (Surface).
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Figure 14 An area in the Tanana River valley near Fairbanks, Alaska, showing ponds, floating fens and remnant birch forest underlain

by ice-rich permafrost. Thawing is resulting in complete destruction of the trees and forest ecosystem, which is being converted into

floating fenswith ponds. Standing dead birch trees, someon ground that has settled below thewater level, are visible in the center and left

half of the picture. (Photograph by M. T. Jorgenson. Adapted with permission from Osterkamp TE, Viereck L, Shur Y, et al. (2000).

Observations of thermokarst in boreal forests in Alaska.Arctic, Antarctic, andAlpineResearch 32: 303–315 by permission of theRegents

of the University of Colorado).
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Introduction

The planets and satellites in the outer solar system
exhibit a diverse range of atmospheres. The giant
planets F Jupiter, Saturn, Uranus, and Neptune F
are fluid objects whose atmospheres have composi-
tions similar to that of the solar nebula fromwhich our
solar system formed. They are dynamically active,
exhibiting behavior on time scales from hours to
centuries, and have multiple zonal (east–west) jets
with speeds that exceed those of Earth’s atmosphere.
Titan, the largest moon of Saturn, has a nitrogen
atmosphere with a surface density four times that of
Earth’s, a global smog layer that hides the surface from
view, and perhaps a surface or subsurface reservoir of
liquid methane and ethane. Triton (Neptune’s largest
satellite) andPluto have tenuousnitrogen atmospheres
thought to be in vapor pressure equilibriumwith solid
nitrogen ice on their surfaces. And the Galilean
satellites of Jupiter F Io, Europa, Ganymede, and
Callisto F have tenuous atmospheres resulting from
volcanic processes and interaction of their surfaces
with energetic particles from Jupiter’s magnetosphere.
These atmospheres embody the same physical
and chemical processes as Earth’s atmosphere
but, because of differing compositions, gravities,
lower boundary conditions, incident solar energy
fluxes, and histories, the phenomena observed there
are unique. The study of these planets enriches
atmospheric science by placing Earth in a broader
perspective.

Jupiter, Saturn, Uranus, and Neptune

Jupiter, Saturn, Uranus, and Neptune, which respec-
tively have diameters of 11, 9, 4, and 4 times that of

Earth, greatly exceed the terrestrial planets inmass. At
318 Earth masses, Jupiter contains more mass than all
the other planets in our solar system combined.
Nevertheless, their internal densities are modest, and
Jupiter is the only planet with a gravity substantially
exceeding Earth’s (Table 1). The dominant atmos-
pheric constituent of all four giant planets ismolecular
hydrogen (H2), followed by helium (He) and trace
species composed of carbon, oxygen, nitrogen, sulfur,
and other elements. The interiors are fluid, and the
transition between atmosphere and interior occurs
gradually. All features visible in images of the giant
planets are clouds (Figure 1). The clouds organize into
latitudinal bands that are obvious on Jupiter and
Saturn and weaker, yet still persistent, on Uranus and
Neptune.

Systematic observations of Jupiter began
in the nineteenth century and continue to the pre-
sent day, providing a �150-year record of the
planet’s visual appearance. Inferences about
Jupiter’s composition began in the 1930s with the
identification of methane (CH4) and ammonia
(NH3) absorption features in spectra of sunlight
reflected from the planet. The space age allowed a
revolution in giant-planet studies. Pioneer 10 and
Pioneer 11 flew past Jupiter in 1973 and 1974,
respectively, followed by Voyager 1 and Voyager 2 in
1979; the latter three of these reached Saturn in 1979,
1980, and 1981, respectively. Voyager 2 continued on
to Uranus in 1986 and Neptune in 1989. The Galileo
mission consisted of a Jupiter orbiter and a probe that
entered Jupiter’s atmosphere in 1995.Cassini flewpast
Jupiter in December 2000 and will enter Saturn orbit
in 2004, starting a three-year mission of the ringed
planet.

Composition

Unlike the terrestrial planets, the giant planets formed
under conditions that allowed them to retain gas from
the solar nebula (the gaseous disk from which the Sun
and planets formed). The abundances of elements
in the jovian atmospheres therefore resemble a
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cooled-down parcel of the Sun. In such a parcel, the
dominant constituents are hydrogen (H2) and helium
(He), which together comprise 98% of the mass,
followed by neon (Ne), oxygen (O), carbon (C),
nitrogen (N), and sulfur (S). The chemical equilibrium
forms of oxygen, carbon, nitrogen, and sulfur in the
giant-planet atmospheres are H2O, CH4, NH3,
and H2S.

Analysis of infrared spectra of the giant planets
indicate that the C:H ratio is 2.9 times the solar value
for Jupiter, about 6 times solar for Saturn, and 30–40
times solar for Uranus and Neptune. These enrich-
ments suggest that the giant planets received solids in
addition to nebular gas during their formation. The
Galileo probe, which directly sampled Jupiter’s at-
mosphere in 1995, confirmed the spectral estimate of
C:H and demonstrated that the abundances of NH3,
H2S, Ar, Kr, and Xe are all between 2.5 and 3.5 times
solar (Table 2).

Vertical Structure and Clouds

The temperature profiles at pressures less than a few
bars (1 bar5 105 Pa) have been measured for all four
giant planets by radio occultations from the Voyager
spacecraft and, in the case of Jupiter, by the Galileo
probe to 22 bars (Figure 2). Each planet exhibits a
temperature minimum (tropopause) near 100mbar,
with a troposphere below and a stratosphere above.
The temperature gradient (lapse rate) in the tropo-
sphere approaches the dry adiabatic value at pressures
exceeding about 1 bar. Galileo probe measurements
indicate that Jupiter’s atmosphere is close to a dry
adiabat from 1 to 22 bars. All four planets also have
hot thermospheres, with temperatures ranging from
�600 to 1000K at pressures of 10�3 mbar or less. The
thermospheric temperatures are greater than can be
achieved with solar energy absorption and, interest-
ingly, do not show a systematic decrease with distance

Table 1 Physical and orbital properties of the giant planets

Jupiter Saturn Uranus Neptune

Date of discovery Antiquity Antiquity 1781 1846

Mass (kg) 1.90� 1027 5.68�1026 8.68�1025 1.02�1026

Mass (Earth51) 318 95.2 14.5 17.1

Equatorial radiusa (103 km) 71.49 60.27 25.56 24.77

Polar radiusa (103 km) 66.85 54.36 24.97 24.34

Mean density (g cm�3) 1.33 0.69 1.318 1.638

Equatorial surface gravitya (m s�2) 23.12 8.96 8.69 11.00

Rotation periodb (h) 9.925 10.6562 17.24 16.3872

Obliquityc 3.121 26.731 97.861 29.561
Equatorial escape velocity (kms�1) 59.5 35.5 21.3 23.5

Orbital semimajor axis (AU)d 5.20 9.55 19.21 30.11

Orbital eccentricity 0.048 0.056 0.046 0.009

Orbital period (years) 11.856 29.424 83.747 163.723

Bond albedo 0.3470.03 0.34 0.3170.05 0.290

Geometric albedoe 0.52 0.47 0.51 0.41

Incident solar flux (Wm–2) 50.5 14.90 3.71 1.51

Emitted/absorbed radiation 1.7 1.8 1.0670.08 2.6

Scale heighta (km) 27 56 33 25

Emission pressure (bar) 0.4 0.3 0.4 0.5

Emission temperature (K) 124 95 59 59

Temperature at 1barf (K) 166 134 76 72

Speed of sounda,g (m s–1) 940 840 630 620

aAt the 1 bar level.
bMeasured relative to the rotating magnetic field for Jupiter, Uranus, and Neptune and for the inferred magnetic-field rotation rate for

Saturn.
cAngle between rotation axis and normal to orbital plane. Rotation axis calculated from magnetic field.
d1AU51.496�108 km is the average distance between the Earth and the Sun.
eAt visible wavelengths.
fUncertainty/spatial variability is about75K.
gCalculatedusing c ¼ ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi

gRT=m
p

, where g ¼ 1:4 is the ratio of specific heats,R is universal gas constant,T is the 1bar temperature, andm

is the molar mass.

Data fromBeattyet al. (1999); Ingersoll (1990); Ingersoll (1995) inCruikshank 1995, pp. 613–682; HanelRA,ConrathBJ,Herath LWet al.

(1981) Albedo, internal heat, and energy balance of Jupiter – preliminary results of the Voyager infrared investigation. Journal of

Geophysical Research 86(A10): 8705–8712; Cox AN (ed.) (2000) Allen’s Astrophysical Quantities. Springer-Verlag, New York.
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from the Sun. At such altitudes, thermal energy is
rapidly conducted downward, so a large heat source is
required. Possibilities include deposition of energy
from charged particles impinging on the top of the
atmosphere (most relevant to Jupiter) and dissipation
of gravity or acoustic waves that propagate up from
lower altitudes.

At pressures greater than about 1 bar, the giant
planets’ vertical heat flux is carried by convection.
Infrared radiation escapes directly to space at pres-
sures of 100 to 300mbar.

Condensation of trace species leads to the formation
of clouds at about 1–10 bars (Table 3). On Jupiter and
Saturn, the expected condensates are, fromhigh to low
pressure, water (H2O), ammonium hydrosulfide
(NH4SH, which condenses from gaseous NH3 and
H2S), and ammonia (NH3). On Uranus and Neptune,
the condensates are H2O, NH4SH, either NH3 or H2S

(depending on the nitrogen to sulfur ratio), and
methane (CH4).

Analyses of infrared spectra allow the actual cloud
structure to be inferred. For Jupiter and Saturn, the top
cloud is a global layer at pressures near 0.5–1 bar.
These clouds are thought to consist of NH3 ice from a
comparison with Table 3. (Solid ammonia absorption
features have been observed only in localized active
clouds, however. Perhaps the ammonia ice acrossmost
of the planet is chemically modified or coated with
impurities that mask the absorption features.) Cloud
particles range from 1 to 100 mm in size. Some studies
of infrared spectra suggest that on Jupiter a cloud
exists at 2 bars, where NH4SH is expected to
condense. No global cloud is present at 5 bars, but
sporadic local clouds have been seen with tops at
pressures exceeding 4 bars, where the only possible
condensate is water. On both Jupiter and Saturn, the

Figure 1 The giant planets Jupiter, Saturn, Uranus, and Neptune (bottom to top, respectively) shown to scale.
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0.5–1 bar cloud is overlaid by an optically thin,
homogeneous haze from 0.1–0.5 bar.

On Uranus and Neptune, two tropospheric cloud
layers havebeenobserved.The lowermost cloud forms
an opaque global layer with tops at 2.870.5 and
3.870.6 bars on Uranus and Neptune, respectively.
The composition may be H2S on the basis of a
comparison with Table 3 and observations showing
that gaseous NH3 is extremely depleted. At pressures
of 1.2 and 1.5 bars on Uranus and Neptune, respec-
tively, a patchy, methane-ice cloud with optical depths
of 0.1–1 exists.

Thin haze layers are also present in the stratospheres
of all four giant planets; these result from condensa-
tion of methane photolysis products such as ethane

(C2H6), acetylene (C2H2), and higher-order organics.
Vaporization (and subsequent condensation) of
material from incoming interplanetary dust particles
also provides a small source of upper-atmospheric
aerosols.

The colors of the giant planets remain poorly
understood. Ammonia ice is colorless; the earth tones
exhibited by Jupiter and Saturn result from trace
quantities of solid organic, sulfur, or phosphorus
compounds (‘chromophores’) mixed in with the am-
monia ice. The blue-green colors of Uranus and
Neptune result fromabsorption of red light by gaseous
methane and perhaps by particles in the global cloud
near 3 bars.

Table 2 Composition of Jupiter’s atmosphere

Species Mole fraction Comments

H2 0.86

He 0.136 0.8 times solar

Ne 2.0� 10�5 0.1 times solar

Ar 1.6� 10–5 2.570.5 times solar

Kr 8.0� 10–9 2.770.5 times solar

Xe 7.7� 10–10 2.670.5 times solar

CH4 2�10–3 2.9 times solar

H2O (19 bars) o6�10–4 o0.35 times solara,b

H2S (16 bars) 7�10–5 2.5 times solara

NH3 (8 bars) 7�10–4 3.5 times solara

CH3D 2�10–7

C2H6 (stratosphere) 10–6–10–5 c

C2H4 (stratosphere) 10–9–10–8 c

C2H2 (stratosphere) 10–8–10–7 c

CO 1�10–9 d

PH3 1�10–6 d

AsH3 2�10–10 d

GeH4 7�10–10 d

aDecreases with height and varies horizontally owing to conden-

sation and dynamics.
bGalileo probe measurement in a dry spot. Other studies suggest

that Jupiter’s deep, global-averaged water abundance is 3–10

times solar.
cProduced by photolysis of methane. Variable with location.
dA disequilibrium species in the atmosphere, but stable at great

depths, so its presence provides evidence of convective transport

from the deep interior.

Sources: Mahaffy PR, Niemann HB, Alpert A et al. (2000) Noble

gas abundances and isotope ratios in the atmosphere of Jupiter

from theGalileoProbemass spectrometer. Journal ofGeophysical

Research 105: 15061–15071; Encrenaz T, Drossart P, Feucht-

gruber H, et al. (1999) The atmospheric composition and structure

of Jupiter and Saturn from ISO observations: a preliminary review.

Planetary Space Science 47: 1225–1242; Fegley B and Lodders K

(1994) Chemical models of the deep atmospheres of Jupiter and

Saturn. Icarus 110: 117–154; Niemann HB, Atreya SK, Carignan

GR, et al. (1998) The composition of the Jovian atmosphere as

determined by the Galileo probe mass spectrometer. Journal of

Geophysical Research 103: 22831–22845; Gladstone GR, Allen

M, Yung YL (1996) Hydrocarbon photochemistry in the upper

atmosphere of Jupiter. Icarus 119: 1–52.
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Figure 2 Temperature versus pressure on Jupiter, Saturn,

Uranus, and Neptune. Uranus is shown in a dotted line to

distinguish it fromNeptune. Data are fromGalileo probe for Jupiter

and Voyager radio occultations for Saturn, Uranus, and Neptune.

Saturn data at pressure less than 10–3 bar are from occultation of a

star behind Saturn.

Table 3 Condensation pressures on giant planets (bars)

Species Jupiter Saturn Uranus Neptune

CH4 – – 1.2 1.5

NH3 0.6 1.4 3a 3a

H2S – – � 5a � 5a

NH4SH 2 4 � 30b � 30b

H2O 6 � 15b � 300b � 300b

aEither NH3 or H2S cloud expected (depending on relative

abundance of NH3 and H2S) but not both.
bUncertain; depends on (poorly known) composition.
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Dynamics

All four giant planets exhibit persistent east–west
(zonal) jets at the height of the visible clouds.
These winds have been measured by tracking
the motion of small clouds over periods of hours
(Figure 3). The measurements show that Jupiter
and Saturn each have over ten jets, with peak
speeds of 180m s–1 on Jupiter and470m s–1 on Saturn.
The equatorial winds are eastward. Uranus and
Neptune have westward jets at the equator and broad
eastward jets at high northern and southern latitudes,
with peak speeds of 200 and 400m s–1, respectively.
Interestingly, wind speeds do not decrease with
distance from the Sun. Observations of Jupiter ex-

tending over a century reveal that significant changes
in the mean jet speeds have occurred at only a few
latitudes. Even Uranus and Neptune show little
variation in the 15 years over which such observations
have been available. Nevertheless, Voyager observa-
tions and ground-based telescope images show that
enormous small-scale variability occurs over periods
of hours to days.

The rapid rotation rates and large sizes of the giant
planets ensure that the large-scale winds are in
geostrophic balance (a balance between horizontal
pressure gradient and Coriolis accelerations).

Althoughdiscrete clouds are not normally present in
the stratospheres of the giant planets,measurements of
temperature at pressures less than400mbar imply that
the jetsweakenwith height above the cloud deck on all
four giant planets. The depth of the jets below the
clouds is a major unknown. Galileo probe measure-
ments indicate that, on Jupiter, the winds at 71N
latitude continue to at least 20bars, 150 km below the
visible cloud deck (Figure 4). For Neptune, analysis of
Voyager gravity data indicates that the strong winds
seen in Figure 3 are confined to the outermost few
percent of the planet’s mass.

Jupiter, Saturn, and Neptune receive more sunlight
at the equator than the poles; but the spin axis of
Uranus is tipped over, so that averaged over a Uranian
year, Uranus receives more sunlight at the poles than
the equator. DuringUranus’ northern summer, the Sun
is overhead at the north pole and the southern
hemisphere is in darkness. The reverse is true during
southern summer.

Jupiter, Saturn, and Neptune radiate 1.7, 1.8, and
2.7 times more energy, respectively, than they absorb
from the Sun. Unlike Earth, these planets therefore
undergo net radiative cooling at all latitudes. No
excess radiation has been detected from Uranus.

Measurements of temperatures above the cloud tops
indicate that, although small-scale temperature vari-
ations are present, little global equator-to-pole tem-
perature difference exists. Efficient energy transport
therefore occurs within the giant planets. For Jupiter
and Saturn, atmospheric transport alone is insufficient
tomute the equator-to-pole temperature gradient, and
the homogeneous temperatures may result from pref-
erential escape of the internal heat at the poles. On
Uranus, theminuscule internal heat flux precludes this
mechanism from occurring, and atmospheric trans-
port (e.g., by baroclinic eddies) may be sufficient.

Jupiter and Saturn exhibit a wealth of small-scale
vortices, cloud streaks, and turbulent regions that
evolve on time scales of days or less. On Jupiter, the
Voyager, Galileo, and Cassini spacecraft imaged
thousands of atmospheric vortices ranging from the
Great Red Spot (spanning 20 000 km by 10 000 km in
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Figure3 Longitudinally averaged eastwardwinds on (A) Jupiter,

(B) Saturn, (C) Uranus, and (D) Neptune, obtained by tracking

cloud features in Voyager and ground based telescope images.

Thewiggles are not noise but represent long-livedatmospheric jets

analogous to the jet stream on Earth.
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longitude and latitude, respectively) to spots hundreds
of kilometers across (Figures 5 and 6). On average,
vortices smaller than 2000 km are circular, while
larger vortices are elongated in the east–west direc-
tion. Ninety percent of the observed vortices are
anticyclones and reside in anticyclonic shear zones.
Cyclones, which reside in cyclonic shear zones, tend to

be more turbulent and short-lived than anticyclones.
When vortices collide, they merge irreversibly
and sometimes eject a filament. Coherent vortices
do not produce other spots F instead, small vortices
are produced in turbulent ‘filamentary regions’
that reside in cyclonic shear zones. The band
within 81 latitude of the equator contains, rather
than vortices, a set of bright and dark features that are
probably the upwelling (cloudy) and downwelling
(cloud-free) branches, respectively, of a large-ampli-
tude, equatorially trapped wave. The Galileo probe
entered such a dark region (Figure 7), where it
measured humidities and cloud abundances much
lower than expected.

Moist convection occurs on Jupiter and may be
important in driving the jets. Lightningwas imaged on
Jupiter’s nightside by Voyager and Galileo, and Gal-
ileo showed that the lightning occurred within bright,
rapidly-expanding clouds that can reach diameters of
2000 km in a few days (Figure 8; the small white
clouds north-west of theGreatRed Spot inFigure 5 are
typical of lightning-producing clouds). The buoyancy
caused by latent heat release is dominated by conden-
sation ofwater and can reach� 10K (similar to that in
terrestrial thunderstorms) for likely water abundances
on Jupiter. Theoretical calculations suggest that this
supplies energy to small-scale eddies that in turn
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Figure 4 Eastward winds versus pressure obtained by Doppler-

tracking of the Galileo probe’s radio signal during its descent into

Jupiter’s atmosphere in December 1995.

Figure 5 False-color visible-wavelength Voyager image of Jupiter’s Great Red spot (GRS) (upper right) taken in 1979. The GRS is an

anticyclonic vortex that rotates counterclockwise once per week. The white vortex below the GRS is also an anticyclone. The turbulent

region north-west of the GRS and west of the smaller vortex have cyclonic vorticity. North is to upper left.
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provide their energy to the larger vortices and jets via
mergers.

Saturn is less active than Jupiter. Features 1000 km
across are at least ten times less abundant, turbulent
regions occupy a smaller fraction of the area, and no
Great Red Spot-like giant ovals exist. Nevertheless,
hundreds of rapidly-evolving, small-scale streaks and
spots were observed by the Voyagers (Figure 9). An
intriguing feature dubbed the Ribbon (Figure 10)
appears to be unique to Saturn.

Jupiter and Saturn exhibit complex long-term var-
iability that has been documented by ground-based
observers in photographs and drawings. Although
Jupiter’s cloud bands are stable enough to have
received names, several of the bands undergo quasi-
periodic disturbances every 3–5 years involving
changes in color or brightness (Figure 11) and
production of dozens of 5000 km to 10 000 km sized

spots that shear apart before the band returns to its
original appearance. The large vortices also evolve –
the three 10 000 km long ‘WhiteOvals’were created in
1938 from the latitudinal deflection and pinching of a
zonal jet; in 1998 and 2000, these vortices underwent
two separate mergers, leaving a single White Oval
behind. TheGreatRed Spot,which is at least 130 years
old and may be as old as 300 years, has been steadily
shrinking in east–west dimension since the nineteenth
century. On Saturn, enormous disturbances that pro-
duce 20 000 km-long bright clouds (the ‘Great White
Spots’), which expand around the planet in 2–3
months and decay over 1–3 years, have occurred at
least six times since 1876 (Figure 12).

Uranus has few identifiable cloud features and
appears bland in Voyager images (Figure 13). Never-
theless, enough discrete clouds have been observed to
determine the planet’s zonal wind pattern.

Figure6 Near-infrared (756nm)Galileo image showing latitudes 251 to 801S inMay 1997. North is up. The two large vortices are about

3500 km in the north–south direction. The leftmost is cyclonic (clockwise rotation) and the rightmost is anticyclonic (counterclockwise

rotation).
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Figure 7 The dark region is one of about ten cloud-free regions that exist north of Jupiter’s equator. The Galileo probe entered one in

1995, measuring extremely low humidities to depths 80 km below the expected condensation levels. The winds relative to the feature

(arrows) have speeds up to 70ms�1 and show that these features are not vortices. Instead, they are probably the downwelling branchesof

a high-amplitude Rossby wave, which pushes dry air from above the cloud tops downward by 80 km.
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Figure 8 Galileo images of a thunderstorm on Jupiter’s dayside (left) and nightside (right). The latitudes and longitudes in the white box

at the upper left were imaged again 2 h later when they rotated onto the nightside (shown in right panels; they cover the same area as the

white box but have been enlarged for better viewing). The bright regions in the two right panels (which were taken 3.6min apart) show

where lightning has illuminated the cloud deck from below.
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Neptune resembles an active version of Uranus.
Although calm by comparison with Jupiter, Neptune
nevertheless exhibits several active clouds (Figure 14).
The largest feature is the Great Dark Spot (GDS), a

Figure 9 False-color Voyager 2 image of Saturn’s north polar

region taken in August 1981. The two oval cloud systems at the

middle right are about 250 km across.

Figure 10 ‘The Ribbon’, a wavelike feature at 461 N latitude in

Saturn’s atmosphere imaged by Voyager 2 in August 1981. The

Ribbon’s wavelength is 10 000 km. North is to upper right, and the

Ribbonmoves eastwardwith the flow at about 150ms�1. The small

black dots and dark circular annuli are camera artifacts.

Figure 11 Three views of Jupiter taken by (A) Pioneer 11 in

1974, (B) Voyager in 1979, and (C) the Hubble Space Telescope in

1995. Notice the changes in the cloud patterns around the Great

Red Spot and in the relative colors of the bands at and north of the

equator.
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20000 km long anticyclonic vortex observed by Voy-
ager in Neptune’s southern hemisphere. The GDS,
which underwent large-amplitude week-long oscilla-
tions in shape and orientation (Figure 15), drifted
toward the equator at 1.31 latitude per month and
subsequently disappeared. AnewGDSappeared in the
northern hemisphere in 1994. In addition to the dark
spots, bright cloud streaks also exist; some are
isolated, while others are associated with features
such as the GDS. In some cases they cast shadows on
the blue (3.8 bar) cloud deck, indicating heights of 50–
100 km (Figure 16). The streaks often comprise
rapidly changing smaller clouds that move at speeds
up to 200m s�1 relative to the main streak, which
suggests the presence of atmospheric waves.

Satellites and Pluto

Jupiter, Saturn,Uranus, andNeptunehave4,6,5, and2
natural satellites, respectively, with diameters exceed-

ing 400 km. The largest, and the only oneswith known
atmospheres, are Jupiter’s moons Io, Europa, Gany-
mede, and Callisto (the Galilean satellites), Saturn’s
moon Titan, and Neptune’s moon Triton (Table 4).

Titan

Titan,which exceedsMercury andPluto in diameter, is
the second-largest satellite in the solar system and the
only satellite with a dense atmosphere. Titan was
discovered by Huygens in 1655. A controversial
observation that Titan’s disk is brighter at the center
than at the edge suggested to Comas Sola in 1908 that
Titan has an atmosphere. But the true discovery of an
atmosphere around Titan occurred in 1944 when
Kuiper discovered gaseous absorption lines of meth-
ane in infrared spectra of Titan. Debate existed about
the surface density (and even whether methane is the
dominant constituent) until the Voyager encounters,
when it became clear that the surface density is four

Figure 12 Hubble Space Telescope image showing Saturn’s banded structure. The bright, blotchy cloud just below the rings is the

decaying stage of a massive quasiperiodic outburst called a Great White Spot.

Figure13 SouthernhemisphereofUranus in trueand falsecolor (left and right, respectively) imagedbyVoyager2 in 1986.Fewdiscrete

clouds are visible. The south pole is slightly below and left of center. Faint banding along latitude circles is evident in the false-color image.
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times that of Earth (5.2 kgm�3 versus 1.2 kgm�3 for
the Earth) and that the primary constituent is molec-
ular nitrogen (N2) (Table 5). Despite the great atmos-
pheric mass, Titan’s small gravity produces a surface
pressure of 1.5 bars, similar to that of Earth.

Titan’s temperature profile, measured by the Voy-
ager radio occultation, shows similarities to that of
Earth (Figure 17). The temperature reaches a broad
minimum of 7272K at 130mbar (40 km altitude),
defining a troposphere (where temperature decreases
with height) and a stratosphere (where temperature
increases with height). The surface temperature is
9774K.Overlying the stratosphere are awell-defined
mesosphere from 300 to 600 km (0.1mbar–0.1 mbar),
where temperature decreases with height, and a
thermosphere above 600 km, where temperature in-
creases with height.

Titan is enshrouded by an opaque global layer of
orange-colored aerosols (Figure 18). The Voyager 1
flyby reached a minimum distance from Titan of
4000 km, but no obvious hints of the surfacewere seen
in Voyager images. The haze shows faint banding but
no discrete clouds, preventing the precise measure-
ments of wind. The haze resides primarily between 50
and 200 km altitude, with an overlying (detached)
layer at roughly 300 km altitude.

A variety of laboratory and theoretical studies have
shown that the haze is produced from photolytic and
catalytic destruction ofCH4 andN2. Photolytic break-
up of methane by ultraviolet light, which occurs
primarily above 700 km altitude, leads to methane
radicals that react to produce ethane (C2H6), acetylene

(C2H2), ethylene (C2H4), and numerous higher-order
organics. As these gases diffuse downward to the
stratosphere, where temperature is lower, they con-
dense to form aerosols. Ices of these simple com-
pounds are colorless, so Titan’s orange hue suggests
that a variety of complex compounds (such as organic

Figure 14 Neptune as imaged by Voyager 2 in 1989. The Great

Dark Spot (the large dark oval), a smaller dark vortex, and

scattered, rapidly changing white clouds are visible.

Figure 15 Time evolution of Neptune’sGreat Dark Spot over 4.5

Earth days. Time proceeds forward from top to bottom at 18-hour

intervals.
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polymers) may also result. Eventually, the haze parti-
cles presumably reach the surface, producing an
organic sludge.

The destruction of methane in Titan’s atmosphere is
irreversible, because the hydrogen freed from the
photolysis reactions escapes to space. Titan’s atmos-
pheric methane would be destroyed in 107 years
without somemeans of replenishment. Themost likely
scenario is that a reservoir of methane exists at or
below Titan’s surface. (Titan’s bulk density indicates
that approximately half its mass consists of ice, and,
while H2O ice is expected to dominate, a substantial
reservoir of methane is also plausible.) Moreover,
extrapolation of current reaction rates backward in

time indicates that, over the age of the solar system, a
layer of organics (primarily ethane) nearly 1 km deep
would have been produced. At Titan’s surface
conditions, ethane is a liquid, so seas of liquid ethane
and dissolved methane may be present on Titan’s
surface.

A global ocean, however, is not allowed by present
data. Radar can penetrate Titan’s haze layers, and
radar observations taken in 1990 indicate that Titan’s
reflectivity at radar wavelengths far exceeds that of
liquid ethane and is more consistent with water ice.
Furthermore, Titan’s atmosphere is moderately trans-
parent at several wavelengths near 1 mm and, starting
in 1994, crude maps of Titan were produced at near-
infrared wavelengths. These images show a heteroge-
neous surface with bright and dark regions; this
heterogeneity is best explained by a predominantly
solid surface. Nevertheless, nonglobal ethane–meth-
ane seas or lakes may still exist; another possibility is
that the liquid hydrocarbons exist in pores and caverns
in Titan’s crust.

The temperatures in Titan’s atmosphere allow
condensation of methane, so Titan may have a
‘hydrological’ cycle in which methane plays the role
that water does in Earth’s atmosphere. Over the past
fewyears, several researchers have looked for evidence
of methane condensation clouds in infrared spectra of
Titan. Time-variability in the infrared flux at wave-
lengths sensitive to the lower atmosphere suggest that
such clouds (perhaps Titan’s equivalent of thunder-
storms) occasionally exist. The lowermost few kilo-
meters of Titan’s atmosphere appears to be
subsaturated in methane, but, surprisingly, Titan’s
infrared spectrum is best explained by the idea that, in
the mid- and upper troposphere, methane is supersa-
turated (with a relative humidity of 150–200%).

Figure 16 Clouds on Neptune at 291 N latitude. Sunlight comes

from the lower left. Shadows indicate that the white clouds are

� 50 km above the blue cloud deck.

Table 4 Properties of satellites with atmospheres

Io Europa Ganymede Callisto Titan Triton

Primary Jupiter Jupiter Jupiter Jupiter Saturn Neptune

Date of discovery 1610 1610 1610 1610 1655 1846

Orbital radius (105 km) 4.22 6.71 10.7 18.8 12.2 3.54

Orbital radius (planetary radii) 5.9 9.4 15.0 26.4 20.2 14.0

Mass (1023 kg) 0.893 0.480 1.482 1.076 1.346 0.215

Mass (Earth51) 0.0149 0.00803 0.0248 0.0180 0.0225 0.00360

Radius (km) 1818 1561 2634 2408 2575 1353

Mean density (g cm�3) 3.50 3.0 1.94 1.84 1.88 2.05

Surface gravity (ms�2) 1.80 1.31 1.42 1.24 1.35 0.78

Orbital period (days)a 1.77 3.55 7.16 16.689 15.945 5.877

Rotation periodb (days)a Syn Syn Syn Syn (Syn?) Syn

Orbital inclination 0.041 0.471 0.211 0.511 0.331 157.31

a1 day524hours586 400 s.
b‘Syn’ 5 synchronous rotation (i.e., rotation period equals orbital period). Titan probably rotates synchronously, but its dense cloud layer

has prevented definitive measurement.

Data from Showman and Malhotra (1999); Beatty et al. (1999).
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Nevertheless, such supersaturation is difficult to un-
derstand and a subsaturated methane profile may also
explain the observations.

Titan’s atmosphere exhibits an equatorial bulge,
indicating that the atmosphere rotates substantially
faster than the surface rotation period of 16 days. In
the upper stratosphere (0.25mbar), maintenance of
this bulge requires the existence of 50–100m s�1 zonal

winds near the equator and two broad 150m s�1 jets
near 601NandS latitude.AtTitan’s 16-dayperiod, the
Coriolis force is weak, and the horizontal force
balance is expected to be cyclostrophic (i.e., a balance
between horizontal pressure-gradient and centripetal
accelerations). Because of surface drag, winds in the
lower atmosphere should be weak, and the implied
vertical shear indicates that, at least over some range of
altitudes, air should bewarmer at low latitudes than at
high latitudes. This is consistentwithVoyager infrared
data,which indicate that at pressures of about 100 and
0.3mbar the equatorial temperature is 2 and 12K
warmer, respectively, than that at 601 latitude (the
highest latitude sampled by Voyager).

These considerations do not determine whether the
wind is east or west. However, winds on the edges of
Titan’s disk that approach or recede from Earth
produce a Doppler shift that, if measured, could
determine the sign of the winds. Measurements of this
phenomenon in 2001 indicated with 94% confidence
that the upper-stratospheric winds are eastward.

General circulation models of Titan are in their
infancy. Nevertheless, they have been capable of
producing a superrotation similar to that observed.
Preliminary attempts to investigate the effects of a
methane ‘hydrological’ cycle arealsobeingundertaken.

Triton and Pluto

Triton, which is Neptune’s largest moon, and Pluto,
which is usually the most distant planet from the Sun,

Table 5 Composition of Titan’s atmospherea

Species Mole fraction Comments

N2 0.82–0.99

Ar 0–0.06 Not yet detected, but

expected

CH4 0.01–0.12

H2 0.002

C2H6 1.370.5� 10–5

C2H4 872�10–8

C2H2 1.970.2� 10–6

C3H8 572�10–7

C3H4 8.071.5� 10–9

C4H2 1.570.2� 10–9

C6H6 (benzene) o6.0� 10–9

HCN 1.570.2� 10–7

HC3N o1� 10–9

C2N2 o1.5� 10–9

CO 6� 10–5 Troposphere. Exact

value debated

0.4–6�10–5 Stratosphere

CO2 1.570.1� 10–8

H2O 472�10–10

aIncludes only gases. Particulates are of uncertain composition

(see text).

Data from Taylor and Coustenis (1998); Owen (1999) in Beatty

et al. (1999).
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Figure17 Temperature versus pressure onTitan as obtained by

Voyager radio occultation.

Figure 18 Saturn’smoon Titan as imaged byVoyager 2 in 1981.

An orange pall of smog particles obscures the surface from view.

The haze is brighter in the southern hemisphere, and a dark collar

can be seen around the north pole.
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are mid-sized icy worlds with tenuous atmospheres
whose main constituent, N2, is in vapor pressure
equilibrium with solid N2 ice on the surface. The
shapes of infrared spectral features in the solid N2 on
the surface indicate that the N2 ice temperatures are
3871K and 4072K on Triton and Pluto, respective-
ly. Over the past few decades, solid CH4, CO, and
H2O as well as N2 have been discovered on the
surfaces of both bodies; solid CO2 has been detected
onTritonbut not onPluto. ThatN2dominatesTriton’s
atmosphere is suggested by detection of gaseous N2

absorption and emission features at ultraviolet wave-
lengths by the Voyager spacecraft; furthermore, the
surface pressure, 14 mbar, is equal to the vapor
pressure of N2 ice at 38K. Analysis of data obtained
when a star passed behind Pluto in 1988 indicates that
the molecular mass of Pluto’s atmosphere is near 28,
consistent with either N2 or CO; the low vapor
pressure of CO relative to N2 suggests that CO is at
most a minor constituent. Gaseous CH4 has been
detected in the atmospheres of Triton and Pluto, with
mole fractions of 2–6� 10� 4 and 0.001–0.1, respec-
tively. The low CH4 abundance is consistent with the
lower volatility of CH4 relative to N2.

The Voyager 2 flyby past Triton in 1989 showed a
dynamic world with a wealth of atmospheric and
surface processes (Figure 19). Despite the low atmos-
pheric mass, several types of airborne particulates
were observed. First was a nearly ubiquitous, and very
tenuous, haze layer extending to 25 km altitude. The
haze probably results from photochemical destruction
of CH4 to form C2H6, C2H4, C2H2, and other
compounds that condense at Triton’s cold tempera-
tures. Second, isolated clouds 70–300 km in length
were observed at heights of 1–3 km, which may result
fromcondensationofN2.Third, andmost spectacular,
four geysers were seen erupting at Triton’s surface,
sending columns of dark particles to altitudes of 8 km.
These particles formed plumes that extended up to
150 km downwind (Figure 20). Analysis of surface
wind streaks and orientations of the clouds and
plumes suggests that, in Triton’s southern mid-lati-
tudes (the region best imaged by Voyager), the winds
blow to the north-east at the surface, to the east at 1–
3 km altitude, and to the west at 8 km altitude. This
wind pattern is consistent with a polar vortex aloft
(whose sign changes from east to west with increasing
height, consistent with a negative equator-to-pole
temperature gradient in thermal wind balance) and a
frictional boundary layer at the surface. The north-
eastward winds at the surface may result from flow of
air away from the south polar cap (modified by the
Coriolis acceleration) as N2 ice from the cap sublimes
(Note that Triton’s rotation is retrograde, that is, from
east to west, so the astronomically defined south

pole has the same sense of rotation as Earth’s north
pole.)

The atmospheres of Triton and Pluto are dense
enough for transport of latent heat to play an
important role in the surface energy balance. Because
the vapor pressure of N2 ice depends strongly on
temperature, any variation in N2-ice temperature
across the surface would cause sublimation (hence
cooling) in the warm regions and condensation (hence

Figure 19 Neptune’s moon Triton as imaged by Voyager 2 in

1989. Varied surface terrains indicate an active geological history.

Dark streaks toward thebottomof the imagemaybedust deposited

by geyserlike plumes.

Figure 20 An active geyser on Triton. Comparison of stereo

pairs of images shows that the dark streak curving across the

rightmost two-thirds of the image is a cloud at 8 km altitude.

The dark material (probably a carbon-rich dust) is ejected from the

surface to 8 km altitude within the vertical column visible at the left

edge of the dark streak. The material then blows downwind to the

right. Sequences of images show substantial time variability in the

plume.
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warming) in the cool regions. This process is efficient
enough to guarantee that the nitrogen ice, which
covers approximately half of both bodies, maintains
constant temperatures across the surface (at 3871K
on Triton and 4072K on Pluto) despite the fact that
the absorbed solar and emitted infrared fluxes usually
do not balance. Regions lacking N2 ice may attain
temperatures up to 60K.

Voyager measurements at ultraviolet wavelengths
indicate that Triton’s atmospheric temperature reach-
es 100K at altitudes above 300 km.On the basis of the
low surface temperature, the 0–300 km atmosphere
must therefore contain a stably stratified layer where
temperature increases with height. Sunlight is ab-
sorbed aloft and conducted down this thermal gradi-
ent toward the surface. Nevertheless, the fact that the
geyser plumes rose to 8 km before spreading horizon-
tally (Figure 20) indicates that the atmosphere below
8km is almost neutrally stable (so that temperature
decreases with height, perhaps following an adiabat).
This is puzzling, because unlike the case in Earth’s
lower atmosphere, radiation cannot compete with
conduction on Triton, so no troposphere (where
radiative cooling forces the atmosphere toward con-
vective instability) is expected. Triton’s ‘troposphere’
may result instead from mechanically forced turbu-
lence caused by air flow over rough topography.

Little is known about Pluto (Table 6), which has not
yet been visited by spacecraft. Our knowledge of
Pluto’s atmosphere derives largely from the fact that
Pluto passed in front of a star in 1988 (an event called a
stellar occultation). The dimming of the stellar light
occurred gradually rather than suddenly, proving that
Pluto has an atmosphere. Analysis of these observa-
tions indicates that the surface pressure is at least
3mbar, but could exceed 100 mbar depending on the
exact temperature of the nitrogen ice at the surface.
(Over the allowed range of N2-ice surface tempera-
tures, 38–42K, the vapor pressure ranges from 14 to
160 mbar). Analysis of the occultation data indicates a

temperature near 100K at pressures near 1mbar,
implying that temperature increases with height
between the surface and 1mbar pressure. Pluto’s
eccentric orbit causes large variations in distance
from the Sun over its 248-year orbit, reaching a
minimum of 29.7AU in 1990 and a maximum of
49.5AU in 2114. Pluto’s surface temperature and
atmospheric pressure will therefore probably plum-
met over the next century, although uncertainty in
surface properties precludes a firm prediction.

The Galilean Satellites

The four Galilean satellites, Io, Europa, Ganymede,
and Callisto, each have extremely tenuous atmos-
pheres resulting from internal processes and bom-
bardment of the surfaces by high-energy particles
contained in Jupiter’s magnetosphere. Io, the inner-
most of the four satellites, is the most volcanically
active body in the solar system. Sulfur dioxide (SO2)
released from volcanic plumes forms an atmosphere
with a dayside surface pressure of order 1 nanobar
(10�9 bar). SO is probably present at mole fractions of
1–10%. SO2 condenses at Io’s surface temperatures,
and evidence indicates that SO2 frost covers parts of
the surface. Unlike the case with Pluto and Triton, the
atmosphere is too thin for latent heat to buffer the
frosts to a single temperature. The atmosphere may be
patchy rather than spatially uniform. Condensation of
SO2 on Io’s nightside produces large horizontal
pressure gradients that induce supersonic flow from
dayside to nightside. The surface pressure, areal
extent, and vertical structure of the atmosphere
remain poorly characterized.

Europa, Ganymede, and Callisto have surfaces
dominated by water ice. Detection of atomic oxygen
airglow in Hubble Space Telescope ultraviolet spectra
of Europa and Ganymede implies the presence of
tenuous molecular oxygen atmospheres with column
densities of 1014–1015 cm�2 and scale heights of
300 km or less on both satellites. The oxygen is
probably produced by destruction of water molecules
by impacting ions and electrons, followed by escape of
the hydrogen to space. Ground-based observations of
Europa indicate an even more tenuous sodium and
potassium atmosphere extending to 25 Europan radii.
Galileo spacecraft observations show a faint absorp-
tion line of CO2 within 100 km of Callisto’s surface,
which provides evidence for a CO2 atmosphere with
surface pressure of 10�11 bar.

See also

Evolution of Atmospheric Oxygen. Evolution of
Earth’s Atmosphere. Planetary Atmospheres: Mars;
Venus.

Table 6 Properties of Pluto

Date of discovery 1930

Mass (kg) 1.32� 1022

Mass (Earth51) 0.002

Radius (km) 1145–1200

Surface gravity (ms�2) 0.6

Orbital period (years) 248

Orbital semi-major axis (AU) 39

Rotation period (days) 6.387

Obliquity 1201
Orbital eccentricity 0.249

Data from Stern and Tholen (1997); Cox AN (ed.) (2000) Allen’s

Astrophysical Quantities. Springer-Verlag, New York.
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Mars

RM Haberle, NASA/Ames Research Center, Moffett
Field, CA, USA

Introduction

The atmosphere of Mars is similar to Earth’s; it is thin
and relatively transparent to sunlight. Mars’ spin rate
and axial tilt are also Earthlike. Thus, the Martian
atmosphere falls into the category of a rapidly rotat-
ing, differentially heated atmosphere with a solid
lower boundary. However, there are also important
differences. The Martian atmosphere is primarily
carbon dioxide with a much lower surface pressure
than Earth’s; and Mars does not have an Earthlike
hydrological cycle, so latent heat release is not as
important as it is for Earth. It does, however, contain
suspended dust particles, which provide significant
diabatic heating.

Mars also appears to have experienced significant
climate change. Today, Mars is cold and dry,
yet spacecraft images provide tantalizing evidence
that the planet’s climate was different in the past.
Layered terrains in the polar regions may have
been created by climate change associated with
astronomical variations in Mars’ orbital parameters.
Valley networks and degraded craters in ancient
terrains may be the result of a thicker atmosphere
early in Mars’ history. And there is some evidence
that the planet may have had an ocean at some
time in its past, perhaps on several occasions. Thus,
Mars is an ideal laboratory for comparative meteo-
rological studies and it may provide insights into the
mechanisms responsible for climate change here on
Earth.

Composition and Mass

The composition of the Martian atmosphere was
determined in the mid 1970s by the Viking landers.
The results of their measurements are given inTable 1.
Carbon dioxide is the principal constituent, followed
by nitrogen, argon, oxygen, and carbon monoxide.
Trace amounts of the noble gases are also present.
Additional minor and highly variable constituents
include water vapor, ozone, and dust particles. To-
gether, these gases exert a global annually averaged
surface pressure of 6:1 hPa, which corresponds to an
average column mass loading of 164 kgm�2.

Temperatures

Temperatures depend critically on Mars’ orbital
parameters (Table 2). The main points are that (1)
Mars receives about half as much annually averaged

Table 1 Composition of the Martian lower atmosphere

ðo120 kmÞ
Constituent Abundance

CO2 95.32%

N2 2.7%
40Ar 1.6%

O2 0.13%

CO 0.07%

H2O 0.03% (variable)

Ne 2.5 ppm

Kr 0.3 ppm

Xe 0.08 ppm

O3 0.04–0.2 ppm (variable)

Dust 0 to� 5 (visible optical depth)
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sunlight as Earth; (2) its orbit is much more eccentric
than Earth’s; and (3) its rotation rate and obliquity are
similar to Earth’s. Consequently, Mars is colder,
experiences a much greater seasonal change in avail-
able insolation (40% compared to 6% for Earth), has
Earthlike diurnal and seasonal changes, and has a
similar Coriolis parameter.

Except during very dusty periods, the atmosphere of
Mars is semitransparent to solar radiation. Conse-
quently, its temperature structure is influenced by
thermal emission from the surface. The globally
averaged surface temperature on Mars is approxi-
mately 215K.However, becauseMars lacks oceans, its
surface temperatures undergo considerable seasonal,
diurnal, and latitudinal variation.

The lowest surface temperatures ð�150KÞ occur in
polar regions during winter and are associated with
the condensation of CO2 onto the surface. The highest
surface temperatures ð�300KÞ occur in the southern
subtropics when Mars is closest to the Sun. In these
same regions, diurnal variations can exceed 100K.

Approximately 10–20%of the radiation emitted by
the surface is absorbed in the atmosphere. Some of the
absorbed radiation is reradiated back to the surface,
producing a modest greenhouse effect. A convenient
measure of the greenhouse effect is the difference
between the average surface temperature, Ts, and the
planet’s effective temperature, Te. For Mars this
difference is about 5K. By comparison, the Earth’s
atmosphere produces a much stronger greenhouse
effect ðTs � Te � 35KÞ owing to a much greater
abundance of water vapor.

Dust particles in the atmosphere strongly influence
the transmission of solar and infrared radiation. Based
on Pathfindermeasurements, the mean particle radius
is �1:7 mm. Particles in this size range interact
efficiently with sunlight and less so with thermal
radiation. During the Viking mission, the daily mean
temperature at the Viking Lander 1 site declined by
several degrees kelvin during the passage of a dust

storm. This suggests that dust particles produce a
modest antigreenhouse effect; that is, they reflectmore
sunlight back to space then they emit to the surface.

Vertical Structure

Temperatures decrease with height in the Martian
atmosphere as they do on Earth. As illustrated in
Figure 1, the variation of temperature with height on
Mars gives rise to a troposphere, a mesosphere, and a
thermosphere. Mars does not have a stratosphere
because it lacks an ozone layer.

The troposphere on Mars is deep by comparison to
Earth. Based on Viking and Pathfinder lander entry
measurements, the troposphere on Mars extends to
almost 60 km with an average lapse rate of
�2:5Kkm�1. On Earth, the troposphere is about
12 km deep, and the lapse rate is �6:5Kkm�1.

On both planets the observed lapse rates are much
less than the dry adiabatic lapse rate (Table 3). For
Earth, this is due to latent heat release associated with
the condensation of water vapor. For Mars, the
additional heating comes from the absorption of solar
radiation by suspended dust particles. On both plan-
ets, temperatures are further stabilized by vertical heat
fluxes associated with large-scale circulation systems.

Theoretical studies indicate that daytime boundary
layer convection could extend to very high altitudes
ð�15 kmÞ on Mars. In such regions the lapse rates
should be close to the adiabatic value. Evidence for
deep daytime convection on Mars can be seen in the
Viking Lander 1 entry profile (Figure 1), which shows
a near adiabatic lapse rate between the surface and
6 km. Above 15 km, temperatures continue to de-
crease with height, but are controlled almost entirely
by radiation rather than convection.

In the Martian mesosphere, temperatures become
nearly constant. Superimposed on this structure are
oscillations due to the adiabatic heating and cooling
associated with vertically propagating planetary
waves. These waves are associated with a global

Table 2 Orbital parameters for Mars and Earth

Property Mars Earth

Mass (kg) 6:46�1023 5:98�1024

Radius (m) 3 394 6 369

Gravity at surface ðms�2Þ 3.72 9.81

Orbit eccentricity 0.093 0.017

Semimajor axis (AU) 1.52 1.0

Solar flux ðWm�2Þ 590 1 360

Length of year (Earth days) 687 365

Length of solar day (s) 88 775 86400

Spin-axis inclination (�) 25.2 23.5

Longitude of perihelion (�) 250 285

Table 3 General circulation parameters for Mars and Earth

Property Mars Earth

Scale height (km) 10.2 7.6

Mean temperature of lowest scale height (K) 200 260

Dry adiabatic lapse rate ðKkm�1Þ 4.3 9.8

Mean lapse rate of lowest scale height ðKkm�1Þ 2.5 6.5

Brunt–Väisälä frequency ð10�2 s�1Þ �0:06 1.12

Radiative damping time Earth (days) �2 > 20

Winter westerly jet speed ðms�1Þ 80 30

Planetary Rossby number 0.05 2.0

Rossby deformation radius (km) 920 1 150
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system of thermal tides. As the tides propagate
upward, their amplitude increases. Eventually, they
produce superadiabatic lapse rates at which point the
waves ‘break’ and generate local mixing. There are
several locations in the Viking entry profiles where
wave breaking is indicated.

In the thermosphere, temperatures increase because
of heating due to the absorption of solar radiation in
the far and extreme ultraviolet part of the spectrum.
This also occurs on Earth. The base of the thermo-
sphere is about 80 km on Earth and about 100 km
on Mars.

Photochemistry

Photochemical reactions occur throughout Mars’
atmosphere. Carbon dioxide, the main constituent, is
readily dissociated by ultraviolet radiation (eqn [I]).

CO2 þ hn ! COþO ðlo227:5 nmÞ ½I�
However, the reverse reaction (eqn [II], whereM is any
nonreactive molecule) is very slow, such that the
oxygen atoms tend to form O2 and O3 rather CO2.

COþOþM ! CO2 þM ½II�
The time required to convert the present CO2 atmos-
phere into one composed predominantly of CO and

O2 is only several thousand years. Yet CO2 is the
dominant constituent while CO and O2 are scarce.
How CO2 is stabilized in the Martian atmosphere is a
major focus of Martian photochemical studies.

The prevailing view is thatCO is oxidized byOHvia
one of several cycles, the most important being that
shown in [III].

COþOH ! CO2 þH

HþO2 þM ! HO2 þM

ðM is a neutral third bodyÞ
OþHO2 ! O2 þOH

Net: COþO ! CO2

½III�

TheOH is derivedmainly from the photolysis ofwater
vapor (eqn [IV]) with a minor contribution from
reaction [V].

H2Oþ hn ! HþOH ½IV�

H2OþOð1DÞ ! OHþOH ½V�
The excited oxygen atom ðOð1DÞÞ is derived from the
photolysis of ozone as in eqn [VI].

O3 þ hn ! O2 þOð1DÞ ½VI�
Note that the ‘odd-hydrogen’ radicals in the above
reactions (H, OH, HO2) are used as catalysts in the
recombination of CO and O. Thus, tiny amounts of a
reactive species (water vapor) appear to control the
bulk composition of the Martian atmosphere.

Although confirmatorymeasurements of the hydro-
gen-containing species have not yet been made,
support for the importance of water chemistry comes
from the distribution and abundance of ozone. Ozone
abundances on Mars are much less than on Earth and
range from below the threshold of detection in warm
tropical regions to as high as 150�1015 molecules
cm�2 in cold polar regions.Ozone is producedwhenO
and O2 combine, and is destroyed by dissociation by
ultraviolet radiation. However, in the absence of
additional atmospheric sinks, ozone would be
much more abundant than is observed. The H
and OH produced by water photolysis provide
this additional sink by using the same catalytic cycle
that operates in Earth’s stratosphere, namely, that
shown in [VII].

HþO3 ! OHþO2

OþOH ! O2 þH

Net: OþO3 ! 2O2

½VII�
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Since the source of odd hydrogen iswater vapor, ozone
will be depleted in regions where water vapor is
abundant, and plentiful in region where it is absent.
This anticorrelation between ozone and water vapor
has been observed and provides support for the
importance of water as a key chemical ingredient of
the Martian atmosphere.

Escape Processes

Escape occurs in the exosphere, which begins onMars
at about 230 km. In the exosphere the probability of
collisions is so small that particles execute ballistic
trajectories, some of which carry them away from the
planet. Themost important gases that can escape from
Mars are hydrogen, oxygen, carbon, and nitrogen.

Molecular hydrogen ðH2Þ is a product of series of
reactions in the lower atmosphere. The net result is
a conversion of water to hydrogen and oxygen
(eqn [VIII]).

2H2O ! 2H2 þO2 ½VIII�

Most of the hydrogen produced in this manner is
removed by reactionswithOHandOð1DÞ, but a small
fraction ð�20%Þ escapes destruction and is transport-
ed into the upper atmosphere where it is decomposed
into H by reactions with various ionospheric species.
Some of the atomic hydrogen produced in this manner
has enough thermal kinetic energy to escape into
space. Ultraviolet spectrometers aboard theMariner 9
spacecraft have detected atomic hydrogen escaping
from Mars.

The escape of hydrogen implies that there must be a
sink for O2. Otherwise, the amount of O2 would
double in about 2�105 years. Loss of oxygen can
occur through the oxidation of surface materials and/
or escape to space. Loss to the surface requires the
continual exposure of surface materials and is not
likely to be significant on the 105-year time scales. On
the other hand, atomic oxygen is too heavy to escape
on the basis of its thermal motion alone. However, it
can escapewhen ionized oxygenmolecules ðOþ

2 Þ in the
ionosphere recombine with electrons. The recombi-
nation dissociates the molecule into its constituent
atoms with enough kinetic energy to escape. This
nonthermal escape mechanism yields an oxygen
escape flux that adjusts itself until it balances the
hydrogen loss: that is, for every oxygen atom that
escapes, two hydrogen atoms also escape. In effect,
water is escaping the planet. If extrapolated over the
4.5 billion year age of the planet, the loss is equivalent
to a layer of water covering the entire planet to a depth
of about 2:5m.

General Circulation

Although the meteorological database for Mars
lacks the coverage needed to fully characterize its
general circulation, much can be inferred from it,
particularly in connection with general circulation
models. Figure 2 is a schematic illustration of our
present understanding of the general circulation. From
the data and models, the main components of the
general circulation are a zonally symmetric mean
meridional circulation, stationary and propagating
planetary waves, thermal tides, and a mass flow
associated with the seasonal cycling of CO2 into and
out of the polar regions. The latter is a unique feature
of Martian meteorology.

The mean meridional circulation dominates the
lower latitudes and is characterized by a deep Hadley
circulation, which undergoes significant seasonal
variation in structure and intensity. At the equinoxes,
two roughly symmetric Hadley cells develop that
share a common rising branch centered at or near the
equator. At the solstices, the twoHadley cells give way
to a single cross-equatorial circulation. Models indi-
cate that the intensity of the Hadley cell mass flux
varies from 109 kg s�1 at the equinoxes to 1010 kg s�1

at the solstices.
The zonal wind component of the mean meridional

circulation has been inferred from temperature data
through the gradientwind relationship.An illustration
of winds derived in this manner is shown in Figure 3.
Application of the gradient wind relationship toMars
indicates that easterlywinds prevail in the tropics at all
seasons, and in the summer hemisphere at the solstices.
Westerlies prevail in the winter hemisphere at the
solstices, and at middle and high latitudes during the
equinoxes. If zonal winds at the surface are relatively

Polar condensation

Baroclinic waves,
Storm systems, fronts

Kelvin waves
Tides

Dust storm

Polar sublimation

Hadley cell

H

H

L

L

Figure 2 Schematic illustration of the general circulation on

Mars.
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weak, as was indicated by the Viking and Pathfinder
landers, then the thermal data indicate that the
westerly jet stream in the winter hemisphere is
typically on the order of 100m s�1.

At high northern latitudes during winter, theViking
landers detected eastward-propagating disturbances
of high- and low-pressure systems. These traveling
disturbances are very similar to terrestrial ‘weather’
systems in that southerly (northerly) winds are gener-

ally associated with falling (rising) pressures and
warm (cold) air advection. Theory suggests that the
transient eddies arise from baroclinic instability. Both
theory and observations indicate that the dominant
zonal wavenumber of the transient eddies varies
between 1 and 4, and that they propagate around
latitude circles with phase speeds between 10 and
20m s�1. Figure 4 is an example of traveling weather
system on Mars.
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Figure4 MarsOrbiterCamera (MOC) imageof amidsummerMartianweather system.Thenorth polar ice cap is thewhite feature at the

center of each frame. The time between each picture is approximately 2 h. Clouds associated with this system consist of water ice (white)

and dust (brown). The distance from edge to edge is approximately 1000 km. (Credit: Malin Space Science Systems.)
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Climate System

The climate of Mars is characterized in terms of the
seasonal cycles of CO2, water, and dust. Each of these
cycles involves the exchange of material between
surface and atmospheric reservoirs. The exchange
itself is driven by daily and seasonal variations in
insolation. The atmosphere plays a major role in these
cycles by serving as the agent of transport. The
signature of the Martian climate system is shown in
Figures 5 and 6.

CO2 Cycle

During winter, temperatures in the polar regions
become low enough for CO2 to condense. The
condensation of CO2 duringwinter and its subsequent
sublimation during spring give rise to the familiar
waxing and waning of the polar caps. Approximately
20% of theMartian atmosphere is cycled into and out
of the polar regions each year by this process.

The waxing and waning of the polar caps leads to a
pronounced semiannual variation in the daily aver-
aged surface pressure (Figure 5). The variation is
semiannual rather than annual because while one cap
is growing the other cap is retreating. However, the
variation is asymmetric,with amuch deeperminimum
occurring during southern winter than during north-
ern winter. This asymmetry is a direct consequence of
Mars’ orbital eccentricity. Southern winters are longer
than northern winters, so that much more CO2

condenses out of the atmosphere. As a result, pressures
are lowest during the middle of southern winter, and
highest in late spring when the cap has disappeared.

At both poles, however, the caps never completely
disappear during summer. At the north pole the
seasonal CO2 frost deposit completely sublimes by
summer, and exposes an underlying water ice cap. At
the south pole, however, CO2 frost appears to survive
all summer long. Thus, the summer caps have different
compositions. The reason for this compositional
asymmetry is not understood.

Water Cycle

The behavior of water vapor in the atmosphere
strongly reflects the compositional asymmetry in the
summer caps (Figure 6). When water ice is exposed at
the north pole, it sublimes into the atmosphere and
produces the �100 precipitable micron (pr-mm) max-
imum that occurs over the north pole. (Precipitable
microns refers to the equivalent depth of a column of
liquid water produced by condensing out all the water
vapor in the atmosphere.) Some of this water is
transported equatorward by the atmosphere. In the
southern hemisphere during summer, a maximum can
also be seen, but it is about a factor of 2 smaller than in
the north.

The minimum observed abundances are less than
several pr-mmandoccur over both polar regions during
winter where temperatures reach 150K (Figure 6).
Because their temperature is fixed at the CO2 frost
point ð�150KÞ, the seasonalCO2 caps act as a sink for
any atmospheric water vapor that is brought in
contact with them. During spring, however, as the
caps retreat they release water back into the atmos-
phere. The source for the southern hemisphere max-
imum in Figure 6 may be water released by the
retreating south seasonal cap. Alternatively, it may be
water that is desorbing directly from the regolith.

Water vapor readily condenses in the Martian
atmosphere to form clouds. However, typical cloud
water contents are quite low (several pr-mm). Clouds
have been observed to form as low-lying fogs, high-
altitude hazes, convective clouds, and clouds associ-
ated with fronts and lee waves.

Figure 6 also shows the opacity of ice clouds as
observed by the Mars Global Surveyor (MGS) space-
craft. They generally occur in two distinct regions:
along the edge of the polar caps, and in the tropics
during northern summer. The cap edge clouds are
associated with what is historically referred to as the
‘polar hood’. They form during winter owing to
general cooling and during summer owing to the
release of water from the retreating cap. The cap edge
clouds in the north are more optically thick than those
in the south. The northern summer tropical clouds are
mostly widespread hazes. These hazes are most
prevalent during northern summer because this is the
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time of year when water vapor abundances are high
and tropical atmospheric temperatures are cool.

Dust Cycle

The surface of Mars is mantled with a fine dusty
material that is lifted into the atmosphere when
surface winds become strong enough to initiate
particle motion. Because of the low density of the
Martian atmosphere, dust-raisingwindsmust be quite
strong. Surface winds gusting to 30m s�1 were meas-

ured by the Viking 1 Lander during the passage of a
dust storm. Apparently, this is the minimum wind
speed required to initiate lifting. However, the dust-
raising process is complicated and the threshold for
lifting can vary depending on surface properties and
atmospheric stability.

Numerous dust storms occur eachMartian year and
are generally classified according to size. From the
smallest to largest, they are dust devils ðo10�1 km2Þ,
local storms ð�103 km2Þ, regional storms ð�106 km2Þ,
and planet-encircling storms ð>106 km2Þ. In general,

90°

90°

60°

60°

30°
La

tit
ud

e

30°

0°

S

N
D t ti l d th (1075Dust optical depth (1075 cm−11))

Temperature at 0.5 hPa (K)

Ice optical depth (825 cm−1)

90°

90°

60°

60°

30°

La
tit

ud
e

30°

0°

S

N

90°

90°

60°

60°

30°

La
tit

ud
e

30°

0°

S

N

90°

90°

60°

60°

30°

La
tit

ud
e

30°

0°

S

N

00 0.10.1 0.20.2 0.30.3 0.40.4 0.5+0.5+

0 0.03 0.06 0.09 0.12 +0.15+

0 10 20 30 40 50+

+215+165155 185175 205195

120° 150° 180° 210° 240° 270° 300°
Ls

330° 0° 30° 60° 90° 120° 150°

(A)

(B)

(C)

(D)

Water vapor column (pr-µm)

Figure 6 OneMars year of TES zonally averaged afternoon observations as a function of latitude and season. Season is expressed in

terms of the areocentric longitude, Ls, which is an angular measure of the planets orbital position, Ls ¼ 0 corresponds to northern spring

equinox; Ls ¼ 90 is northern summer solstice; Ls ¼ 180 is northern fall equinox; and Ls ¼ 270 is northern winter solstice. (A) 9 mm dust

optical depth at 6:1 hPa. (B) Atmospheric temperatures (K) at 0:5hPa ð�25 kmÞ. (C) 12mm water ice optical depth. (D) Water vapor

columnabundance in precipitablemicrons (thedepth liquidwaterwould havebycondensing out all thewater vapor in a columnof air of unit

cross-sectional area). White vertical stripes represent data gaps. (Credit: Michael Smith and the TES Team.)

PLANETARY ATMOSPHERES /Mars 1751



the smaller storms have shorter lifetimes and occur
much more frequently than the larger storms. Dust
devils, for example, occur daily and last from minutes
to hours, whereas planet-encircling storms occur
quasi-annually and can last for months.

Dust devils are typically tens of meters in diameter
and several kilometers tall. Some have been observed
to heights of�8 km. They generally form over smooth
terrain within several hours of local noon. The
Pathfinder Lander meteorology sensors detected 79
dust devils over a period of 83 days. From orbit these
systems have been detected from the shadows they
produce, and from the trails they leave on the surface
(Figure 7). Dust devils are believed to be major
contributors to the dust loading of the Martian
atmosphere.

Local dust storms are also quite common. Based on
recent MGS images, as many as 2000 local storms

occur each Martian year. This gives a daily averaged
rate of 2–3 storms per Martian day. They have typical
lifetimes of less than several days. Local dust storms
tend to form along the edge of the polar caps and in the
mid-latitudes of both hemispheres. These systems
often have a distinct convective morphology and can
be quite optically thick.

Regional storms have been observed at nearly all
seasons but are most frequent during southern spring
and summer. Most regional storms develop within
�30� of latitude, though there is a distinct bias toward
the southern hemisphere. Regional storms can last
from days to weeks. These storms can drift a signif-
icant distance from their original location, and new
satellite storms can develop that are quite remote from
the original center. The MGS has observed two such
storms. The signature of the first one can be seen in
Figure 6.

Planet-encircling storms are the least frequent but
the most spectacular of Martian dust storms. They
spread dust around all longitudes andmost latitudes to
heights in excess of 50 km. They generally begin in the
southern hemisphere during southern spring and
summer. None have been observed at other seasons.
They start as regional storms and then expand in
longitude then in latitude. The Viking landers ob-
served two planet-encircling storms during the first
year of operations (Figure 8). To date only seven
planet-encircling storms have been observed. The
most recent occurred in late June 2001 and was seen
from Earth and the MGS orbiter.

The mechanisms responsible for the Martian dust
storms are poorly understood. Dust devils are prob-
ably related to strong daytime convective heating as
they are on Earth. For the larger storms, however,
feedback effects are probably important. The most
important feedback is the dust heating feedback.
Suspended dust particles warm the atmosphere by
direct absorption of sunlight. This then intensifies the
circulation, which lifts additional dust. This positive
feedback continues until the dust loading is so high
that the atmosphere stabilizes and further lifting is
suppressed.

Quasi-Periodic Climate Change

Both polar regions on Mars are characterized by
extensive layered terrains, which are among the
youngest geological features on the planet. The
layered structure consists of series of plates of varying
thickness ð�30mÞ that are stacked one upon the
other. The fact that they are continuous and uniform
suggests they were formed by atmospheric sedimen-
tation processes that were modulated in time.

Figure 7 Dust devil trails. Dust devils remove fine, bright, sandy

material from the surface and expose a darker underlying bedrock.

(Credit: Malin Space Science Systems.)
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The leading theory on the origin of the layered
terrains is the astronomical theory. According to this
theory, Mars’ orbital parameters vary in a quasi-
periodic fashion and this alters the transport and
subsequent sedimentation of dust and water into the
polar regions. The key orbital parameters are the
obliquity, eccentricity, and longitude of perihelion,
which vary on time scales from 105 to 106 years.

The theory focusesmostly on the effect of changes in
the obliquity. The current obliquity for Mars is 25:2�,
but orbit calculations suggest it has varied from
between 15� and 45� during the past 10 million years,
and may have been as high as 60� before that. As the

obliquity increases, the polar regions warm with
respect to the equator and this has two important
consequences. First, any CO2 stored in the high-
latitude regolith will be driven into the atmosphere,
thereby increasing surface pressures. Higher surface
pressures lead to greater dust lifting and greater dust
transport into the polar regions. Second, water ice will
be driven off the pole and into low-latitude reservoirs
such as permafrost. Thus, polar layers forming at high
obliquities would be dominated by dust.

At low obliquities the opposite occurs. The polar
regions cool with respect to the equator. CO2 migrates
back into the high-latitude regolith and eventually the
atmosphere freezes out, forming permanent CO2 ice
caps. The surface pressures fall so low that dust lifting
ceases and there is no transport of dust into the polar
regions. At the same time, water diffuses out of the
low-latitude permafrost and is cold-trapped out at the
poles, leading to the creation of an ice sheet whose
thickness is limited by the amount of water stored as
permafrost and its ability to diffuse through the soil
and into the atmosphere. Thus, polar layers forming at
low obliquity would be predominately water ice.

One problem with the astronomical theory is the
estimated age of the layered deposits. From crater
statistics, the surface of the north layered deposits
appears to be o105 years old, while the south polar
layered deposits appear to have been stable for at least
107 years. These ages are not well correlated with the
time scale for orbital oscillations, so other processes
must be involved. Nevertheless, orbitally induced
climate change must be significant on Mars.

Origin and Evolution

There are several lines of evidence that suggest Mars
began with an atmosphere much different from the
one it has today. The first are geochemical in nature
and are based on measurements of the isotopic
abundance of various gases in the atmosphere. The
second are geological in nature and are based on the
morphology of the surface and its implications for
fluid flow. Both lines of evidence favor an initial
atmosphere containing much more CO2, N2, and
water than it has today. However, they differ in the
initial abundance of these gases; the geochemical
evidence favors low initial abundances (hundreds of
hPa), while the geological evidence favors high initial
abundances (thousands of hPa).

There is also geological evidence for warmer and
wetter conditions early in Mars’ history. The evidence
is based mainly on valley network systems and highly
eroded craters that are found on surfaces that date
back an estimated 3.5–3:8�109 y. Both these features
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are thought to require the action of liquid water over
extended periods of time. A good example of a valley
system is shown in Figure 9. Extensive ancient layered
sedimentary deposits and the possible presence of an
ocean alsomake the case for awarm earlymars. Taken
together, these observations imply that earlyMars not
only had a thicker atmosphere, it had a climate system
capable of supporting an active hydrological cycle
with precipitation and runoff.

One way to achieve warmer and wetter condi-
tions on early Mars is through a greenhouse effect. A
particularly strong greenhouse effect ð�77KÞ is
required since the Sun was 25% less luminous

3.5–3.8 billion years ago. The most likely greenhouse
gases are CO2 and water vapor. These gases could
easily have been supplied by the intense volcanic
activity thought to characterize early Mars. However,
climate models have not convincingly demonstrated
that pure CO2=H2O atmospheres are sufficient. Spe-
cial circumstances, such as infrared-scatteringCO2 ice
clouds or additional reducing greenhouse gases such as
methane, need to be invoked. Thus, the nature of the
early Martian climate systems remains unknown.

If Mars did start out with a more massive atmos-
phere than it has today, then how has it evolved to its
present state? If a strong enough greenhouse effect did
exist, then much of the original CO2 would have been
drawn out of the atmosphere and incorporated into
the carbonate rock reservoir. Recycling CO2 back into
the atmosphere through volcanic activity or impact
burial is not expected to have lasted very long onMars
because of its small size and subsequent rapid loss of
internal heat. Thus, carbonate formation should have
been largely irreversible. Yet the MGS orbiter has
not detected any substantial outcrops of carbonate
deposits.

Other sinks for an early thick atmosphere include
impact erosion and escape. The small size of the planet
makes it easier for large impactors to strip away the
atmosphere. As much as 100 times the present
atmospheric mass may have been lost by this process.
Escape is also facilitated by the planet’s small size, but
for CO2 escape is more significantly enhanced by the
lack of a magnetic field. Without the protection of the
magnetic field, Mars is unable to hold off the solar
wind, which can energize Oþ ions in the upper
atmosphere to levels sufficient to eject a CO2 molecule
directly after a collision. This process, known as
sputtering, is sensitive to solar extreme ultraviolet
flux, whose history is uncertain. However, conserva-
tive calculations show that several hundred hPa could
have easily been lost over the history of the planet.

The Future

Mars has become a high-priority target for explora-
tion andatmospheric science is a key objective ofmany
of the missions to be launched. The European Space
Agency will launch theMars Express mission in 2003,
which will carry a number of instruments for atmos-
pheric studies including a visible/infrared spectrome-
ter to map the thermal and compositional structure of
the atmosphere. In 2005, the United States National
Aeronautical and Space Administration plans to
launch an orbiter carrying a dedicated infrared
atmospheric sounder to profile temperature andwater
vapor. In 2007, the French space agency, Centre

Figure 9 Nanedi Vallis. This valley system (�2:5 km wide) may

have been cut by the continuous flow of water very early in Mars’

history (3.8 billion years ago). (Credit: Malin Space Science

Systems.)
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National d’Etudes Spatiales, is planning amission that
would deliver an orbiterwith amicrowave sounder for
continued atmospheric profiling, and a network of
four landers to carry out seismological and meteoro-
logical measurements These missions will continue to
add to our knowledge of the meteorology and climate
of Mars.

See also

Aerosols: Physics and Chemistry of Aerosols. Boundary
Layers: Neutrally Stratified Boundary Layer. Chemistry
of the Atmosphere: Principles of Chemical Change.
Climate: Overview. Climate Variability: Seasonal to
Interannual Variability.Clouds:Climatology.Evolutionof
Atmospheric Oxygen. Evolution of Earth’s Atmos-
phere. General Circulation: Overview. Planetary
Atmospheres: Jupiter and the Outer Planets; Mars;
Venus.
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Introduction

Venus is the Earth’s sister planet, 0.723 times as far
from the Sun as is the Earth. Its radius (6052 km) and
mass (4.869� 1024 kg) are 95% and 82% of the
Earth’s. Thus, in size and distance from the Sun it is
quite similar to Earth, but its atmosphere is strikingly

different from the Earth’s. The atmosphere of Venus is
much more massive, with a mass per square meter of
10.8 kgm�2 compared to 0.1 kgm�2 on Earth. It is
composed of carbon dioxide (96.5% mole fraction)
andmolecular nitrogenN2 (3.5%) plus traces of other
gases. A hydrosphere is absent on Venus. There is a
very low abundance of water in any form. These
compositional differences point to a drastically differ-
ent evolution of the Venusian and terrestrial atmos-
pheres through geological history.

The current state of the Venusian atmosphere also
shows great differences from that of the Earth. There is
a strong greenhouse effect, which raises the surface
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temperature to about 735K (4621C), despite the fact
that cloud cover strongly reflects sunlight so that less
heat flux is absorbed on Venus than on the Earth. The
cloud deck itself is extremely interesting. It is optically
thick, and observed from Earth or from space. Venus
appears featureless in visible light. The cloud is
composed of droplets of a strong solution of sulfuric
acid. Its maintenance depends on a cycling of sulfur
compounds between the upper atmosphere, where
sunlight produces H2SO4 by photochemistry, and the
lower atmosphere, where high temperatures destroy
the acid.

The solid body of Venus rotates very slowly, with a
period of 243 days, in the opposite direction to the
general rotation of the solar system. The general
circulation of the Venus atmosphere is dominated by
rotation of the atmosphere in the same direction as
that of the solid planet but increasing in speed with
height from the surface up to the cloud tops. It reaches
maximum speed near the cloud tops, where the
rotation period is about 4 days. Atmospheric dynam-
ics are thus very different on Venus and on Earth.
Coriolis forces are relatively weak because of slow
planetary rotation. Instead, the atmosphere itself
develops a rotation by internal mechanisms that are
not yet fully understood.

History and Evolution of the Venusian
Atmosphere

The total quantity of atmosphere on Venus is known
from measurement of surface pressure by probes
dropped through the atmosphere. Four of these were
flown to Venus by theNASA Pioneer Venus spacecraft
in 1979, and several were flown by the RussianVenera
spacecraft program between 1965 and 1985. The
surface pressure was found to be about 9.3MPa.
When divided by the acceleration of gravity
(8.87m s�2 on Venus), the pressure yields the atmos-
pheric mass per unit area. Most of this mass is carbon
dioxide. On the Earth, a similar quantity of carbon is
buried in the crust, primarily in the form of carbonate
minerals. On the other hand, the Earth’s oceans
contain a total quantity of water equivalent to a layer
with basal pressure of a fewhundred kPa, compared to
much smaller traces on Venus. Thus two questions are
raised by compositional differences: Why is carbon
dioxide on Venus in the atmosphere instead of in
crustal minerals as on Earth?Why does Venus have so
little water?

Venus and Earth are similar in size and density and
are composed of approximately the same array of
elements, and are thought to have formed in similar
ways during the birth of the solar system. Thus the

same inventories of volatile compounds were proba-
bly present on both planets at the time of planetary
formation. The most abundant of these were water
and carbondioxide.Current differences are thought to
be due to evolutionary effects rather than to initial
conditions. In particular, Venus is closer to the Sun and
the solar flux onto the top of the atmosphere is 1.9
times larger than on Earth. This is thought to have
been large enough to push Venus into a runaway
greenhouse state, in which water vapor feedback
drove the temperature high enough that all water was
forced into the atmosphere as vapor or cloud.Water in
the upper atmosphere was then exposed to ultraviolet
radiation and dissociated. The hydrogen escaped to
space and the oxygen was chemically combined with
crustal materials; the consequence was rapid loss of
most of the initial water inventory.

In the presence of liquid water and relatively low
temperatures, carbon dioxide over geological history
on Earth has largely precipitated out in the form of
carbonates such as calcite (CaCO3). These Urey
reactions remove carbon dioxide from the ocean–
atmosphere system. On Venus, the high surface
temperature pushes the equilibrium of the Urey
reactions toward higher CO2 pressures. The major
portion of the initial inventory of CO2 on Venus may
still reside in the atmosphere.

These ideas regarding the compositional evolution
of the Venusian atmosphere remain speculative be-
cause of the absence of detailed geological information
from the surface of Venus. For example, detailed
chemical analysis of surface minerals has not yet been
performed, and sedimentary cores such as those used
to investigate past epochs on Earth do not exist for
Venus.

Thermal State of the Venusian
Atmosphere

Figure 1 displays a temperature profile obtained from
entry probes. The shape of the profile divides the
atmosphere into two regimes. The middle atmosphere
is approximately isothermal and is analogous to the
Earth’s middle atmosphere, but without the warm
layer due to absorption of ultraviolet solar radiation
by ozone on Earth. The lower atmosphere shows
temperatures decreasing with height, and is analogous
to the Earth’s troposphere. The heat balance in the
middle atmosphere is dominated by heating due to
absorption of sunlight in near infrared CO2 bands and
cooling to space from the 15 mm CO2 band. In the
lower atmosphere the heat balance is more compli-
cated and not fully understood. The solar heating is
well constrained by direct measurements of solar flux
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by entry probes. About 76% of the insolation is
reflected. The global average absorption is about
F ¼ 157Wm�2, which implies an effective tempera-
ture for emission to space of 229K. Thus the net
energy input is smaller than on Earth (where it is
approximately 240Wm�2, giving an effective emis-
sion temperature of 255K) because of the high
reflectivity of the Venusian cloud deck. More than
half of the solar energy is absorbed in the cloud deck,
between heights of about 50 and70 km.About 10%of
the solar absorption is at the planetary surface. The
remainder is smoothly distributed gas absorption. The
large heat input in the cloud deck, about 60 km, or five
scale heights, above the surface, is a very different
driver for meteorology compared with that on Earth,
where the bulk of the solar heating is near or at the
surface.

Thermal radiation flux is less well understood than
the solar flux. The high infrared opacity of the major
constituent, CO2, is important in producing a strong
greenhouse effect. But even a small spectral ‘window’
for leakage of radiation to space can greatly reduce the
effectiveness of a greenhouse, and trace gases such as
SO2 and H2O are important in filling spectral win-
dows on both sides of the 15 mm CO2 band on Venus.
SO2, H2O and other trace gases are spatially and
temporally variable on Venus, and measurements of
their distribution are sparse. Furthermore, at the high
temperatures andpressures of the lower atmosphere of
Venus, the opacities ofmany gases are notwell known.
The spectral distribution of the thermal radiation flux
has not been directly measured within the Venusian
troposphere. Nevertheless, radiative modeling based
on the best estimates of composition has successfully
reproduced the Venus greenhouse, and the greenhouse
explanation for high surface temperature on Venus is
widely accepted.

Four Pioneer Venus entry probes measured temper-
ature profiles in 1979, at different latitudes. The
profile displayed in Figure 1was near the equator. The
troposphere temperature increases monotonically
with depth but the gradient is not uniformly close to
the adiabatic gradient. There is a stable layer near
0.3MPa pressure, and another near 3MPa. The
middle atmosphere, where the pressure is less than
0.03MPa, is of course also stably stratified. Thus the
vertical structure comprises alternating layers, each a
scale height or two thick, with nearly adiabatic, low-
stability regions within the cloud deck near 0.1MPa
pressure, below the clouds near 2MPa, and possibly
also near the surface. All four of the profiles measured
by Pioneer Venus showed similar stratification prop-
erties. A pair of Russian balloon probes in 1985 gave
evidence for strong vertical motions, probably due to
convection, in the low-stability layer within the cloud
deck. The layered stability structure of the Venusian
troposphere is probably important in controlling
atmospheric dynamics, but wind measurements are
too limited to reveal the effects.

The orbital period of Venus is 224.70 Earth days. Its
spin about its axis is in the opposite direction, with a
period of 243.02 days. In combination, these motions
produce a solar day on Venus of 116.75 days. In spite
of this long time, there is very little day–night
temperature contrast in the lower atmosphere. A
radiative time constant based on the average thermal
cooling rate and the entire atmospheric mass is
tR ¼ cppTM=ðgFÞ, where cp is the heat capacity, p is
the surface pressure, TM is the mean atmospheric
temperature, g is the acceleration of gravity, and
F is the average thermal flux to space. With cp ¼
800 J kg�1, p¼9:2MPa, TM¼ 600K, g ¼ 8:87m s�2,
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clouds is indicated.
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and F ¼ 157Wm�2, one obtains tR �100 years. On
the other hand, a radiative time constant based
on the atmospheric mass near and above the cloud
deck is only a few days, and indeed measurements
have shown that thermally driven tides are significant
at these heights, with an amplitude of a few kelvins.

There is very little latitudinal temperature contrast
in the lower atmosphere ofVenus.Here again the large
thermal time constant is probably responsible. As long
as dynamical transport times are shorter than the
radiative time constant, heat should be well mixed
laterally. The situation is probably analogous to that in
the deep ocean basins on Earth. Within the clouds,
however, there is a latitudinal temperature gradient,
cooler toward the poles by about 20K. At higher
elevations the temperature gradient reverses.

Chemical Stability of the Venusian
Atmosphere

Above the cloud tops, absorptionof solarUVradiation
by CO2 leads to its dissociation into CO and O. Most
of theO atoms recombine to formO2. The restoration
of CO, O, and O2 back to CO2 is effected by catalysis
involving chlorine atoms derived from the photolysis
of trace amounts of HCl in the Venusian atmosphere.
The catalytic mechanism is similar to that proposed
for the destruction of the terrestrial ozone layer by
chlorine atoms derived from anthropogenic chloro-
fluorocarbons. Chlorine chemistry also catalyzes the
oxidation of SO2 to H2SO4. The essence of the
chemical scheme may be summarized as in Scheme 1.
ClC(O)O2 is the peroxychloroformyl radical; ClCO is
the chloroformyl radical; and M is a third body
(ambient atmosphere).

On decadal time scales, the composition of the
atmosphere may be subject to perturbations by
episodic volcanic eruptions. However, there is no
proof that the reported secular variations in SO2

abundance can be attributed to volcanic processes. It is
conceivable that the observed changes are the result of
a coupled upper atmosphere and lower atmosphere
oscillation (the analogue of El Niño in the terrestrial
tropical atmosphere). Over geological time scales,
both H2O and SO2 are unstable. The loss and re-
supply of these gases might have induced profound
climatic changes and could provide an explanation of
the tectonic deformations of the crust observed by the
Magellanmission radar mapping.

The Venusian Clouds

The Venusian clouds are featureless and opaque in the
visible. Absorption in the blue gives the planet a slight
overall yellowish tint to the eye. Absorption becomes
strong at ultraviolet wavelengths, and also shows
contrast that reveals cloud patterns. Figure 2 displays
an ultraviolet image taken by the Pioneer Venus
spacecraft in 1980. The identity of the ultraviolet
absorber is unknown, but is most likely polysulfur.
The principal component of the cloud is a haze of
sulfuric acid droplets of radius about 1 mm. The
gaseous precursor of the sulfate particles is SO2, but
the ultimate source of sulfur is COS from the surface.
Once transported to the upper atmosphere, COS is
readily oxidized to SO2, using the oxygen derived
from CO2 photolysis. The oxidation of SO2 to H2SO4

Cl  +  CO  +  M → ClCO  +  M

ClCO  + O2  +  M → ClC(O)O2  +  M

ClC(O)O2  +  Cl → CO2  +  ClO  +  Cl

SO2 + h� → SO  +  O 

SO2  +  O  +  M → SO3 +  M 

SO3  +  H2O  +  M → H2SO4 +  M 

SO +  ClO → SO2  +  Cl

⎯⎯⎯⎯⎯⎯⎯⎯⎯⎯⎯⎯⎯⎯⎯⎯⎯⎯⎯⎯

CO  + O2  +  SO2  +  H2O → CO2  + H2SO4

Scheme 1

Figure 2 Ultraviolet image of Venus from the Pioneer Venus

orbiter (Rossow et al. 1980). North is at the top. The general

circulation is from east to west (toward the left) and appears to

spiral toward the poles. The large-scale dark pattern centered on

the image is the ‘Y’ discussed in the text as a possible traveling

wave.
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hasbeendescribed in the previous section.However, in
regions of the atmosphere where O2 is deficient, COS
may be reduced to Sx, (polysulfur). Visibility within
the haze is a few kilometers. The base of the cloud is at
approximately 48 km elevation, where the pressure
and temperature are about 0.13Mpa and 365K. Near
the cloud base the Pioneer Venus probes detected a
relatively thin layer, about 2 km deep, containing
larger particles andhigher number densities than in the
main cloud. There is no sharp top to the cloud. The
density tapers off gradually between 60 and 75km
elevation. At 65 km the pressure and temperature are
about 0.01Mpa and 245K. In addition to their
obvious impact on climate, the clouds of Venus have
an important effect on atmospheric chemistry. The
sulfate particles completely dehydrate the upper
atmosphere. The process is analogous to the removal
ofwater vapor by the cold trap at the tropopause of the
Earth’s atmosphere.

The General Circulation

Figure 3 displays wind velocities measured by the four
Pioneer Venus probes in 1979. Numerous Russian
probes have produced similar results. The flow is
dominated by an easterly zonal wind increasing with
height up to approximately the top of the visible
clouds, where it reaches about 100m s�1. This repre-
sents a rotation of the atmosphere in the same
direction as that of the solid planet, but with a period

of about 4 days within the cloud, about 50 times faster
than the rotation of the solid planet. Figure 3 shows
that meridional (south–north) velocities are much
smaller than zonal winds in the deep atmosphere.

The falling Pioneer Venus probes were only able to
measure wind between the surface and about the
65 km level within the clouds. The ultraviolet features
shown in Figure 2 are slightly higher, near the cloud
tops, probably at about 65–70 km elevation. Tracking
of these features shows zonal motions consistent with
probe measurements, but with the advantage that a
complete latitudinal profile can be measured. These
profiles vary over time scales of a year or so.
Sometimes a well-defined high-latitude jet exists,
and at other times the profile shows nearly
constant angular velocity. The cloud top measure-
ments also show poleward drift with a speed of
roughly 10m s�1 in both hemispheres. This
may represent the upper branch of a Hadley circula-
tion, and indeed the general appearance of Figure 2
suggests a flow spiraling toward the poles. The
Hadley interpretation may be premature, however,
since cloud tracking is not possible on the dark side of
the planet and a true zonal mean has not been
measured. Solar-fixed tides are known to exist, and
may make the day-side measurements unrepresenta-
tive of the mean.

The ultraviolet patterns in the Venusian clouds give
evidence for large-scale traveling waves. One wave
appears in the shape of a ‘Y’ lying over the equator
with its base pointed eastward. The branches of the
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Figure 3 Windmeasurements from drifts ofPioneer Venus probes (Counselman et al. 1980). The east–west component of the velocity

is far larger than the south–north component. Vertical shear is smallest at heights where the temperature gradient is closest to adiabatic.
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fork in the ‘Y’ merge into the poleward spiral at mid-
latitudes. The pattern remains coherent over many
rotations and travels with approximately the same
velocity as the cloud top circulation. Another wave is
occasionally observed at mid-latitudes, traveling with
a slightly slower velocity. The two waves are thought
to be Kelvin and Rossby modes respectively, but
details of their structure and the nature of their
excitation are not known.

The Venusian atmosphere is in cyclostrophic bal-
ance. Coriolis accelerations are weak because the
planet rotates slowly. Cyclostrophic balance is the
analogue of Coriolis balance but with centrifugal
replacing Coriolis accelerations. An ideal gas atmos-
phere in hydrostatic and cyclostrophic balance obeys
an analogue to the ordinary thermal wind equation of
meteorology (eqn [1]),

H
q
qz

u2a ¼ � cot f
q
qf

RTð Þ
� �

p constant

½1�

where the scale height H ¼ RT=g, R is the gas
constant, z is height, ua is the absolute zonal velocity
in a nonrotating frame, f is latitude, and T is
temperature. The latitudinal derivative of temperature
is taken at constant pressure. The rotation of the
solid planet represents an equatorial velocity of
uE ¼ 1:8m s�1, and therefore ua is the same as u
displayed inFigure 3, butwith a small correction equal
to uE cosf. In the deep atmosphere this thermal wind
equation can be used to infer temperature gradients
from the measured vertical wind shear, and one finds
that equator-to-pole contrasts of a few degrees are
expected, with the high latitudes cooler. More probes
at high latitudes would be necessary to measure this
directly. Above the cloud tops, where no direct wind
information exists, the measurements of temperature
increasing toward the poles indicate that the atmo-
spheric circulation decays with height in the middle
atmosphere.

The remarkable spin of the Venusian atmosphere is
one of the major puzzles in atmospheric science. In the
absence of forcing mechanisms, friction and wave
drag would be expected to bring the atmosphere into
co-rotation with the solid planet. Theories fall into
two classes. In one, vertically propagating waves
transport momentum from the surface into the
atmosphere. The waves would need to be selected or
sorted by some process, so that those carrying
momentum in the direction of the planetary spin are
dominant. This explanation is similar to the accepted
explanation for the quasi-biennial oscillation (QBO)

in the Earth’s stratosphere at low latitudes. The QBO
reverses direction approximately every 2 years, how-
ever, and, over the 40 years that it has been observed,
the direction of the Venus rotation has never reversed.

The other theory relies on a Hadley circulation plus
large-scale eddies. The Hadley circulation on Venus is
not well measured, but the general appearance of the
cloud-top circulation suggests that it extends from the
equator to high latitudes. Rising motion at low
latitudes transports angular momentum upward in
such a circulation. Poleward drift in the upper branch
leads to formation of jets at middle and high latitudes.
According to the theory, large scale eddies cause
erosion of the jets and act to transfer their angular
momentum back toward low latitudes. The joint
action of the Hadley circulation and the large-scale
eddies can maintain the spin, or superrotation, of the
atmosphere. This process has been successfully simu-
latedwith numerical models. Observational test of the
theory is not possible at present, however, because
data on the Hadley circulation and on eddies are
incomplete.

See also

Evolution of Earth’s Atmosphere. Planetary Atmos-
pheres: Jupiter and the Outer Planets; Mars.
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Introduction

Through the years, mariners of the Nordic Seas have
told tales of unexpected encounters with fierce storms
that appeared out of nowhere to wreak havoc on the
seas. These storms were smaller and more transient
than the more predictable synoptic-scale weather
systems that were familiar. Yet with the advent of the
satellite era, it appeared these smaller-scale vortices
were ubiquitous over the polar seas. The high-latitude
location of these storms, and their identification as
low-pressure centers, led to them becoming known as
polar lows; although a host of alternative names have
been used in reference to such weather systems: for
example, Arctic instability lows, comma clouds, and,
in the Southern Hemisphere, Antarctic coastal vorti-
ces. Polar lows are now defined as intense maritime
cyclones with scales less than 1000 km and near-
surface wind speeds in excess of 15m s�1. Polar lows

are the most intense example of the family of meso-
scale cyclonic vortices, poleward of the main
polar front, known generically as polar mesoscale
cyclones. This article will discuss both, but will
focus on those more energetic systems known as polar
lows.

Polar lows are characterized as subsynoptic in scale,
typically 100–500 km in diameter, and short lived,
typically lasting only 3–36 h. They develop overwater,
but often move over land or ice, where they tend to
fade rapidly. In terms of dynamics, polar lows are
fundamentally baroclinic or convective in nature. In
most cases, some element of convection is necessary
for rapid development to an intense polar low. Purely
baroclinic, or topographically forced, systems tend to
remain asweaker polarmesoscale cyclones.One of the
most prominent hallmarks of a polar low is the spiral
of cloud associated with the vorticial flow (Figure 1).
Occasionally there is a clear eye at the center of the
cloud vortex, suggesting an analogy with tropical
cyclones; indeed such systems have been described as
Arctic hurricanes.More often than not they arewarm-
cored vortices, and many have well-defined fronts,

Figure 1 Infrared satellite image of the Barents Sea area at 0240 UTC 13 December 1982. Light colors represent cold brightness

temperatures. A polar low is well defined by a cloud vortex with a clear central eye. (Image courtesy of the NERC Satellite Receiving

Station, University of Dundee.)

POLAR LOWS 1761



suggesting parallels with synoptic-scale extratropical
cyclones.

The distribution around the globe of the land
masses, sea ice, and sea surface temperatures leads to
some favored locations for the development of intense
polar lows. These are regions prone to cold-air
outbreaks, where relatively cold continental air is
advected over relatively warm ice-free waters: for
example, in the Nordic Seas (the Greenland, Iceland,
Norwegian, and Barents Seas), the Labrador Sea, the
Bering Sea, theGulf of Alaska, and the Sea of Japan. In
the Southern Hemisphere, the eastern Weddell, the
Bellingshausen, and the Ross Seas are favored loca-
tions. Satellite-based climatological studies show that
there are typically hundreds of polar mesoscale
cyclones per year in each of these regions. In the
Northern Hemisphere, polar mesoscale cyclone de-
velopment ismost commonduringwinter, followed by
the autumn and spring seasons. In the Southern
Hemisphere, there appears to be no significant sea-
sonal variability, but there are preferences in location
that tend to be dictated by variations in the sea ice
distribution.

Polar lows are extremely important weather sys-
tems for certain regions as their strong winds and
severe weather are potentially hazardous. However, it
is also likely that polar mesoscale cyclones play an

important but as yet unclear role in the climate system
at high latitudes: for example, through a strong
coupling of the polar atmosphere and ocean through
air–sea heat exchange.

Observations of Polar Low Structure

Polar mesoscale cyclones are relatively small scale and
short lived, which makes them difficult to observe by
conventional means as they tend to fall between the
spatial and temporal gaps in the observing network.
Their location in sparsely populated or maritime
regions compounds this difficulty. With the advent of
the satellite era, and the development of satellite
remote sensing as a tool for meteorological observa-
tion, our knowledge has vastly improved; not least in
simply providing visible and infrared images, showing
the cloud structures associated with the systems (e.g.
Figures 1 and 2).

Instrumented Aircraft Data

The availability of satellite imagery in real time has
allowed the targeting of incipient polar lows for
further investigation by instrumented aircraft. Only
a very small number of polar lows have been
investigated by aircraft, but these few cases provide

Figure 2 Infrared satellite image of the sea ice-covered Weddell Sea area at 1730 UTC 6 October 1995. A polar mesoscale cyclone is

clearly defined by the comma-shaped cloud vortex.
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otherwise unobtainable details of their structure. One
case from over the Norwegian Sea in February 1984 is
discussed as an illustration. Figure 3 shows an infrared
satellite image: light colors represent colder brightness
temperatures and therefore generally higher clouds.
There is a high comma-shaped cloud spiralling into the
center of a mature polar low and contrasting with the
warmer brightness temperatures of the sea surface
beneath. To the south and east there are plumes of
cloud associated with shallow convection. Farther to
the south is an elongated bandof high cloud associated
with a synoptic-scale weather system.

An instrumented aircraft made a number of passes
through the polar low over a period of a few hours
centered at this time. Atmospheric soundings from
dropsonde releases and nearby radiosonde ascents,
along with the flight-level data, have been synthesized
to produce a highly detailed picture of this particular
polar low. A surface pressure analysis, along with part
of the aircraft track and wind observations at 300m
above sea level, is shown in Figure 4. Note that the
analysis has been time-adjusted for the motion of the
low during the aircraft sampling. The low was about
400 km across with 12 hPa of closed isobars. The
lowest sea level pressure recorded was 979 hPa at the
point of calm winds. The low was not axisymmetric,
rather somewhat elongated on a north-east–south-
west axis.Mesoscale fronts in these directions (dashed
lines) mark a strong horizontal wind shear, where the

flight-level wind barbs show abrupt changes in direc-
tion over tens of kilometers. Wind speeds were over
30m s�1 in the western and southern parts of the low.
The relative vorticity of the flight-level winds was
S-shaped, following the mesoscale fronts, with typical
values over 10� 10�4 s�1 and peak values of twice
that. The relative vorticity values were on a par with
those observed in synoptic-scale extratropical cy-
clones. The 300m temperature field showed a seclud-
ed warm core, 2–31C warmer than surrounding
temperatures, and of a similar elongated shape to the
pressure field. The low was relatively shallow
with only a weak circulation signature in the mid-
troposphere.

The vertical structure of the low is illustrated in a
cross-section of potential temperature contours and
storm-relative transverse velocity vectors in Figure 5.
The cross-section is oriented approximately north–
south at about 41W. To the north (left) was a 1 km
deep near-neutral marine boundary layer capped by a
stable layer (bold lines). To the south (right) themarine
boundary layer was about 2 km deep. In the center of
the cross-section was a warm front, delineated by a
strong horizontal gradient in potential temperature.
There was low-level (storm-relative) convergence into
the frontal region and vigorous ascent, the upward
vertical velocities reaching 1m s�1. There was weaker
descent on the warm side of the front, completing a
cross-frontal circulation. The warm-core structure of

Figure3 Infrared satellite image of theNorwegianSeaarea at 1340UTC27February 1984. A polar lowwith awell-defined clear central

eye is visible. (Image courtesy of the NERC Satellite Receiving Station, University of Dundee.)
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the system is depicted by the downwelling potential
temperature contours above the frontal region.
Cross-sections of equivalent potential temperature
showed a decrease with height up to about 2 km in the

convergence region; in other words, the frontal region
was unstable to moist convection. Convective precip-
itationwas observed in this region, as radar reflectivity
echoes, in a shallow layer below 3km. Surface
turbulent heat fluxes were calculated to be extremely
high, up to 500Wm�2 for both surface sensible and
latent heat fluxes. The total surface turbulent heat
fluxes in this case were on a par with those observed in
tropical cyclones (hurricanes). In some respectsF for
example, the fronts and the pressure distribution F
this polar lowwas similar to archetypal synoptic-scale
extratropical cyclones (see Cyclones, Extra Tropical).
However the large surface turbulent heat fluxes, and
clear eye (Figure 3), are reminiscent of tropical
cyclones (see Hurricanes).

The observations summarized above paint a vivid
picture of a small-scale vortex, with remarkably
strong winds, well-defined mesoscale fronts and a
number of convectively unstable areas where precip-
itation was falling. This structure is typical of many
intense baroclinic-convective types of polar low.
Other case studies have shown more axisymmetric
systems, with less well-defined fronts than illustrated
above (e.g., Figure 1); or systems without areas of
conditional instability, where convection is less im-
portant; or systems where upper-level forcing is vital.
Clearly there is a spectrumof characteristicswithin the
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polar low category of systems. Of course, this amount
of structural detail is not routinely available; instead,
in recent yearswe have come to rely on satellite remote
sensing for much information.

Satellite Remote Sensing Data

The most vivid satellite observations of polar lows,
and of polar mesoscale cyclones, are the high resolu-
tion infrared and visible images such as those in
Figures 1 to 3. These images are simply pictures
taken from space at certainwavelengths in the infrared
or visible parts of the spectrum.The highest-resolution
(1 km) images are from sensors on board polar
orbiting satellites, for example, the Advanced Very
High Resolution Radiometer (AVHRR). These
provide a fantastically detailed picture of cloud
structure and height, often hinting at streamlines
through the shape of the clouds. Also flown on
many polar orbiting satellites are vertical sounders
that combine a variety of infrared and microwave
channels to obtain atmospheric emission temperatures
from several heights and thus temperature or
humidity profiles for an atmospheric column of
order 100 km square. However, the retrieval process
is ill-posed, which means layer-mean temperatures, or
equivalently geopotential thicknesses, are more accu-
rate than the profiles. Nevertheless, such data have
been used to obtain the synoptic backdrop to polar
lowdevelopment and, for example, to corroborate the
warm-cored nature of the polar low described
above. One limitation of these sounders is their
poor functionality in areas of very thick clouds, where
the humidity retrievals in particular are affected.
This problem is largely bypassed when a more
comprehensive passive microwave sounder is used,
such as the SSM/I (Special SensorMicrowave/Imager).
This instrument can provide contemporaneous
fields of precipitation, cloud liquid water content,
and surface wind speed at a resolution of around
100 km, although again heavy rain can interfere
with the sensors. Observations from the SSM/I have
helped to determine whether some mesoscale vortices
are convective, or not, as convective precipitation
gives a strong backscatter at certain wavelengths.
Surface wind speed can also be measured by radar
altimeters (such as Geosat), again through the
influence of the winds on the sea state, and thus the
radar backscatter; but owing to their narrow swaths
these sensors only provide cross-sections through
weather systems. To obtain both wind speed and
wind direction from space, one has to revert to
scatterometers: these are able to measure capillary
waves on the ocean’s surface and so infer wind speed
and wind direction. They have a resolution of

about 25 km, but a relatively narrow swath (typically
800 km), so that at present they are not able to
cover the globe on a daily basis. In addition, there
is an ambiguity problem in determining the wind
direction. To rectify this, external information,
such as wind data from numerical weather prediction
models, must be supplied. Surface wind data
from scatterometers are at a suitable resolution
for polar mesoscale cyclone investigations and
have assisted in a number of case studies and
climatologies. It has been shown that around 75%
of cloud vortices (seen in AVHRR imagery) have
a distinct surface circulation signature in scatterome-
ter winds.

Over recent years, most operational satellite
remote-sensing data have started to be incorporated,
via the data assimilation processes, directly into
numerical weather prediction models. This includes
vertical sounder, passive microwave radiances,
and scatterometer data. Depending on the quality of
the data assimilation and model, this should result
in remotely sensed polar mesoscale cyclones being
represented in numerical weather prediction analyses
and forecasts.

Dynamical Theories of Polar Low
Development

A number of dynamical mechanisms have been pro-
posed for the initiation and growth of polar lows and
polar mesoscale cyclones. The two most widely
accepted theories are that polar lows are fundamen-
tally baroclinic disturbances or fundamentally con-
vective disturbances. A wealth of observational and
numerical modeling studies would now suggest that
there is a continuous spectrum of polar mesoscale
cyclones that spans these, and other, development
mechanisms.

Baroclinic Dynamics

The classic baroclinic instability mechanism, as first
developed in the 1940s and1950s, plays a primary role
in the development of synoptic-scale extratropical
cyclones (see Baroclinic Instability, Cyclones, Extra
Tropical). Essentially a continuously stratified fluid is
unstable to small-amplitude perturbations if the basic
state encompasses a reversal in sign of the potential
vorticity gradient. The simplest archetype of baroclin-
ic instability is that of a zonally symmetric atmosphere
with a rigid lid of height H, a meridional potential
temperature gradient L (equivalent to a zonal vertical
shear, assuming thermal wind balance), a Coriolis
force f , and a static stability N. Here the poten-
tial vorticity gradient reversal is at the boundaries.
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The growth rate is a linear function of fL=N, and the
scale of the unstable waves is a linear function of
NH=f . For typical mid-latitude values, this yields e-
folding times of about a day and fastest-growing
modes on the scale of several thousand kilometers.
This is an order of magnitude larger than that of
observed polar mesoscale cyclones; so use of this
theory to explain mesoscale cyclones requires a scale
reduction through a modification of the basic-state
atmosphere. For a start, at high latitudes f is larger, but
more importantly bothH andN can be much smaller
than is typical at mid-latitudes. For example, during
cold-air outbreaks the atmosphere can be represented
as a near-neutral marine boundary layer capped by a
strongly stable free atmosphere (e.g., Figure 5). In this
case, if the rigid lid is taken as the strongly stable
capping layer, this means a much reduced H, and a
reducedN in the near-neutral layer, leading to fastest-
growing modes on about the scale of observed polar
lows (Figures 3 and 4). A different basic state, also
leading to a scale reduction, is that of a reverse shear
flow, so called because the baroclinic waves propagate
in the opposite direction to the thermal wind; that is,
the shallow extent of the waves means that their
steering level is within the reverse flow. Here weak
static stabilities and strong vertical shears can combine
to yield unstable modes of order 500 km.

A different paradigm of baroclinic instability is the
initial-value problem, where an upper-level precursor,
such as an upper-level potential vorticity anomaly,
induces growth at low levels. This scenario can also be
envisaged through cyclonic vorticity advection and
omega equation arguments, but is perhaps more
transparent within an isentropic potential vorticity
(PV) framework. To achieve rapid growth, an upper-
level PVanomaly must act in synergy with a low-level

baroclinic zone, i.e., a potential temperature gradient
(see Figure 6). The induced circulation from the upper-
level PV anomaly deforms the low-level temperature
field into a wave, which then induces its own cyclonic
circulation as potential temperature anomalies at a
boundary are equivalent to PVanomalies. The upper-
and lower-level anomalies reinforce each other’s
circulation and thus mutual growth occurs. In this
scenario, the scale of the disturbance is again a
function of NH=f . The presence of an upper-level PV
anomaly is often associated with the intrusion of the
stratosphere down into the troposphere, i.e., a low
dynamical tropopause. In this case, the scale heightH
is reduced and (as before) when this is combined with
low static stabilities, growth on the scale of polar lows
is induced. This type of PV-thinking has helped to
explain anumber of observed andmodeled polar lows.
It has also enabled another form of satellite remotely
sensed data to be used, as stratospheric intrusions (i.e.,
PV anomalies) can be detected from their large total
column ozone amounts. For example, the TOMS
instrument can be used to estimate total column ozone
and thus monitor upper-level PV dynamics.

Baroclinic instability mechanisms are significantly
modified by the presence of moisture: latent heat is
released through condensation of water vapor during
ascent, and this additional heating reinforces the
baroclinicity of the system and thus enhances growth.
The most intense polar mesoscale cyclones tend to
form as polar lows in maritime environments, where
there is a ready supply ofmoisture,which suggests that
any baroclinic dynamics are likely to be enhanced by
latent heating. Indeed a number of numerical model-
ing case studies have found that without moist
processes the modeled polar low is unable to grow to
the strength observed.

Warm

Cold

(A) (B)

+ +

Figure 6 The interaction of an upper-level potential vorticity (PV) anomaly (1 sign) with a low-level baroclinic zone. The cyclonic

circulation induced by the upper-level PV anomaly is illustrated through the solid curves. Panel (A) shows the initial state. Panel (B) shows

the advection of the low-level potential temperature field into a warm anomaly. At the surface this is equivalent to a positive low-level PV

anomaly (open1sign) and thus induces a cyclonic circulation illustrated through the open curves. The interaction is self-reinforcing and

leads to rapid cyclogenesis. (Adapted from Hoskins et al. (1985) with permission.)
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Convective Dynamics

The axisymmetric cloud and the presence of a clear
central eye in some polar lows (e.g., Figure 1) has
suggested that these lowsmay be akin to small tropical
cyclones. This idea has been pursued through the
modification of some tropical cyclone development
theories to polar environments. One such mechanism
is conditional instability of the second kind (CISK (see
Instability: Wave–CISK)). This mechanism involves
the organization of cumulonimbus convection into a
coherentweather system.An initial disturbance causes
low-level convergence and ascent, which, in a condi-
tionally unstable atmosphere gives rise to latent heat
release. This generates cyclonic relative vorticity that
forces further low-level convergence and, by continu-
ity, high-level divergence. The low-level convergence
provides a continued source of moisture for further
latent heat release and thus a positive feedback is
established. The scale of CISK-driven disturbances is
determined by the vertical distribution of diabatic
heating during development. The growth rate is
directly dependent upon the convective available
potential energy (CAPE) of the atmosphere. In the
polar regions during cold-air outbreaks, extremely
deep conditionally unstable layers can develop, thus
providing enough CAPE for polar low development.
However, it has also been argued that the atmosphere
does not sustain the required amounts of CAPE for
long enough to allow the CISK mechanism to act as
described.

An alternative convective theory is that of wind-
induced surface heat exchange (WISHE), also known
as air–sea interaction instability (seeHurricanes). This
proposes that surface sensible and latent heat fluxes
are responsible for the growth of tropical cyclones and
polar lows. Moist convection mixes this additional
heat and moisture through the troposphere on the
scale of the growing vortex. Latent heat release within
the convective clouds contributes to vortex growth
and, as the surface turbulent heat fluxes are propor-
tional to the surface winds, a positive feedback is
established. The theory allows an estimate of the
central pressure drop within a mature system from
Carnot energy cycle arguments and known environ-
mental conditions; for example, the observed pressure
drop of the polar low in Figure 1 is consistent with this
theory.

In some sense the above two mechanisms are
variations of convective closure rather than being
fundamentally different. CISK relies on low-level
convergence from friction, whereas WISHE does
not; on the other hand, it could be argued that CISK
implicitly includes surface sensible and latent heat
fluxes as part of the dynamics. Recent idealized

numerical modeling studies have found that polar
low growth is more sensitive to the parameterization
of surface heat fluxes than to the parameterization of
surface friction, which provides some evidence for the
WISHE mechanism, but in the real world the two
mechanisms are more difficult to distinguish. A
common requirement for the convective theories is
an initial disturbance of the basic state aboutwhich the
convection can become organized. This begs the
question of what causes the initial disturbance. In
many observational and numerical studies, it would
appear that some sort of baroclinic forcing causes the
initial disturbance. As described in the previous
section, this may be a linear instability of a baroclinic
atmosphere or an upper-level precursor inducing flow
at low levels. The initial polar low can then evolve into
a convectively driven phenomenon if the conditions
are right. In other cases perhaps a topographic forcing,
or a barotropic forcing, cause the initial disturbance.
What is clear is that moist convection plays a central
role in the development of many polar lows in a way
that it does not in other extratropical cyclones.

Numerical Modeling and Forecasting
of Polar Lows

In a research context, numerous case studies have
shown that state-of-the-art numerical models are able
to simulate polar lows, and polar mesoscale cyclones,
of all varieties. In fact, numerical modeling studies
have been instrumental in elucidating the different
roles of the dynamical mechanisms discussed above.
Capturing the growth and mesoscale structure to a
reasonable accuracy typically requires the parameter-
ization of microphysical processes (including latent
heat release, cloud microphysics, and multiphase
precipitation); radiative and turbulent heat fluxes
(including surface turbulent heat fluxes); and moist
convection. If any of these physical processes is
switched off, the simulated polar lows tend to be
weak or nonexistent. It is also essential that the
numerical model’s grid resolution is suitable for the
scale of the cyclone. Typically horizontal grid squares
of 20–50 km are required for a cyclone of a few
hundred kilometers and higher resolutions if details
such as mesoscale fronts are to be simulated. On the
other hand, it is also necessary to simulate the evolving
synoptic-scale environment as this affects both devel-
opment and movement of polar lows. In general, the
synoptic-scale flow plays a primary role in steering
mesoscale cyclones in a passive manner. However, if
two or more polar lows are active within close
proximity it is possible that they will interact and
this also affects their movement. Hence, forecasting of
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polar low tracks stretches current numerical modeling
resources as it requires both high resolution and large
domain sizes.

In an operational context, the simulation of polar
lows is still very much in its infancy. At present global
operational models are at the limits of resolution
necessary to capture polar mesoscale cyclones: often
they are sub-grid-scale. While regional operational
models may well be of sufficient resolution, these tend
to be focused on population centers rather than the
polar regions. Over coming years, there is no doubt
that advances in computing will lead to higher
resolutions for operational forecasting and, if the
experience of research numerical modeling is echoed,
this should lead to an ability to routinely simulate
mesoscale cyclones in operational numerical weather
prediction. A key question then will be whether the
operational observing and data assimilation systems
are good enough to analyse mesoscale cyclones.Many
of the remotely sensed data discussed earlier are now
routinely assimilated into operational numerical
weather prediction models, but it remains to be seen
how accurate routine analyses are in representing
polar lows and polar mesoscale cyclones.

See also

Air–Sea Interaction: Momentum, Heat and Vapor Flux-
es. Baroclinic Instability. Cyclones, Extra Tropical.

Hurricanes. Instability: Wave–CISK. Mesoscale
Meteorology: Models.
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Introduction

The thermosphere is the region of the Earth’s atmo-
sphere between about 100 km and 500 km above the
Earth’s surface. It is characterized by extremely
high temperatures; they occasionally exceed 2000K.
Throughout much of the thermosphere, thermody-
namics and dynamics are dominated by the heat
produced by the absorption of solar radiation. But in
the polar thermosphere, magnetosphere–ionosphere–
thermosphere coupling is a major driver for thermo-
dynamics and dynamics. In this article both forms of
coupling are discussed. Techniques that have been

developed over the years to study this region are also
discussed.

The Basic Thermosphere

The Temperature Structure of the Upper
Atmosphere

Where does the atmosphere end? Definitions of this
are as varied as the fields in which atmospheric
scientists work. The region that interests us here, the
thermosphere, is part of what is commonly called
‘space’ by most of humanity. Spacecraft in low Earth
orbit fly through much of the region; pressures are so
low that it is an excellent vacuum by our standards
here on the ground. Yet there is enough atmosphere to
permit the Sun’s rays to produce the ionosphere,
protecting the Earth from harmful extreme ultraviolet
(EUV) and far ultraviolet (FUV) radiation and
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producing a medium that is a valuable aid to radio
communication. Because of the large number of
nonionized atoms andmolecules in the thermosphere,
and the continuity between it and the Earth’s surface,
many scientists consider the thermosphere to be part
of the Earth’s atmosphere. A common definition of its
upper boundary is the height at which the mean free
path of a molecule is equal to the scale height of the
atmosphere above – the exobase. Above this height,
atoms and molecules are able to escape from the
Earth’s atmosphere on a regular basis. Typically the
height of the exobase is about 500 km.

The thermosphere is a region that is characterized
by theway that temperatures increasewithheight in its
lower parts (below about 200 km) and by the lack of a
significant temperature variation with altitude in its
upper regions (see Figure 1). If one word could be used
to characterize the thermosphere, it would be ‘hot’.
The thermosphere is the hottest part of the Earth’s
atmosphere with temperatures exceeding 2000K in
certain conditions.

Why is this region so hot? The surface of the Sun
radiates very much like a typical black body with a
characteristic temperature of just below 6000K. Such
a black body emits most of its radiation in the visible
portion of the electromagnetic spectrum with small
shoulders in the infrared andUVparts of the spectrum.
But above the surface of the Sun, there are two very hot
regions: the chromosphere, which has a temperature
of about 10 000K; and the corona, where tempera-

tures can reach over 1 000 000K. These hot regions
produce very energetic electromagnetic radiationwith
wavelengths in the ultraviolet, the FUV, and the EUV.
When this energetic radiation reaches the Earth it
ionizes neutral gases in the thermosphere, creating an
embedded plasma called the ionosphere. In the densest
part of the ionosphere, at about 300 km, the density of
the ionosphere is about 1/1000 of that of the neutral
gas. At greater altitudes neutral densities are smaller
and the whole gas begins to behave like a plasma.

High up in the thermosphere large temperature
increases occur as the excess energy associated with
ionization processes heats the electrons. These, in
turn, collidewith ions, which collidewith the neutrals,
thus heating the neutral gas. Lower in the thermo-
sphere, other processes becomemore important. In the
region between 120 km and 200 km ionization and
dissociation processes create ions and atoms that are
able to release energy in exothermic reactions. Lower
still, neutral atoms can directly absorb energy
in the Schumann–Runge bands and continuum
(120–200nm).

This strong heat source is not balanced by a strong
in situ mechanism that cools the thermosphere.
Instead themain coolingmechanism is the conduction
of heat down to the top of the mesosphere. The region
then is characterized by a strong heating mechanism
and a relatively inefficient coolingmechanism, leading
to the very high temperatures mentioned above.

Above the Heterosphere

There are other ways to classify the atmosphere.
Turbulence plays an important role through much of
the Earth’s atmosphere. Below a height of about
105 km, turbulence mixes the various species of gas
thatmake up the atmosphere.As a result of thismixing
the major gases are found in approximately the same
proportion just below 100 km as they are at the
ground. Thus, the atmosphere is about 78% N2 and
21% O2 (with small amounts of argon, CO2, water
vapor, and helium) throughout the atmosphere below
about 100 km. This region is called the heterosphere.
The boundary below which there is mixing of all
species, the homopause, is in fact somewhat lower
than the turbopause, the height above which no
turbulence occurs. This difference in altitude exists
because less turbulence occurs in the highest parts of
the turbulent region and mixing is not as complete.
The turbopause itself exists because it represents the
lower boundary of a region in which molecular
viscosity and ion drag damp vertical gradients to
such an extent that the small structures associatedwith
turbulence are not formed. Thus, there is no process
thatmixes the gas andmaintains the same composition
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throughout the rest of the thermosphere. Instead, to
the first order, the density of each species decreases
with altitude above the turbopause at a rate that is
related to its mass. This is expressed symbolically in
eqn [1], where n represents the number density, n0 is
the density at a reference height, X is any species
present in the thermosphere, z is the altitude and H is
the scale height, defined according in eqn [2].

nðXÞ ¼ n0ðXÞe�z=H ½1�

H ¼ RT

mXg
½2�

In eqn [2] R is the gas constant, T is some neutral
temperature, mX is the mass of the species in atomic
units, and g is the acceleration due to gravity.

Because of its weight, a lighter species, such as
atomic oxygen (O), becomes relatively more impor-
tant at greater altitudes. Heavier species, such as
molecular nitrogen (N2), become less important at
greater altitudes. Thus, O becomes the dominant
species from about 200 km up to the top of the
thermosphere. The effects of these variations in the
densities of the individual species, called diffusive
separation, are shown in Figure 2.

This diffusive separation is very important to both
the thermosphere and the ionosphere. Not only does it
play a huge role in determining the vertical structure of
the thermosphere and ionosphere as a whole, but it

also feeds back to create the much more dynamical
composition variations that will be discussed later.

The Polar Thermosphere

The thermosphere varies as a result of changes in solar
energy input. There are variationswith season, time of
day, solar rotation, solar cycle, and long-term changes
in solar output that are not yetwell understood.Waves
propagating upwards from the atmosphere below also
affect the thermosphere. These topics are best ad-
dressed in an article on the thermosphere as a whole.
This article focuses primarily on those inputs that
make the polar thermosphere unique: magneto-
sphere–ionosphere–thermosphere coupling.

Energy Input from the Magnetosphere

In the first section the general structure of the
background thermosphere and the processes that
create this structure were described. To understand
the polar thermosphere, another set of processes must
be considered.

As well as emitting electromagnetic radiation, the
Sun also emits plasma, in the form of a stream of
charged particles (ions and electrons, the ions are
mainly protons) called the solar wind. When these
particles reach the Earth they interact with the
magnetosphere, creating potential drops across the
magnetic polar caps and causing particles to precip-
itate from the magnetosphere into a high-latitude
region called the auroral oval. As these particles
precipitate into this region they collide with neutrals,
ionizing them and creating secondary electrons,which
can collide with other neutrals causing more ioniza-
tion. These primary and secondary electrons produce
the auroras that are described inmore detail in the next
section. Because there are a large number of charged
particles in this relatively narrow oval, currents can
flow along magnetic field lines from the magneto-
sphere down into the lower ionosphere.

In its simplest terms this process can be thought of as
a basic electric circuit, with a current flowing from the
‘battery’ of the magnetospheric interaction with the
solar wind down into the thermosphere/ionosphere
and then back upwards. The circuit is closed in the
lower ionosphere, where horizontal currents, called
the Pedersen and Hall currents, connect the upward
and downward field-aligned currents.

Energy flow from themagnetosphere to the thermo-
sphere/ionosphere is associated with these currents.
The dissipation of this energy is amajor source of both
heat and momentum for the thermosphere as a whole
and for the polar thermosphere in particular. Energy
from precipitating particles in the auroral oval is
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dissipated as heat through collisions with the neutral
gas. These collisions also produce secondary energetic
electrons, which undergo further collisions, further
dissipating the incoming energy. The peak of this
energy input occurs in normal times at heights between
about 110 km and 120 km.

Because there is usually relatively little current
dissipation along field lines (the potential drop along a
field line is a few kVat most), the potential drop set up
by the solar wind moving across the magnetic poles is
largely communicated down to ionospheric heights in
quiet geomagnetic times. During geomagnetic storms,
much of the current that is generated at the magneto-
pause is diverted by processes that are not relevant to
the themeof this article.However large cross polar cap
potentials (much larger than those that occur during
quiet geomagnetic times) do occur in the high-latitude
ionosphere during these events. These cross polar cap
potentials create an electric field in the ionosphere that
is perpendicular to the Earth’s magnetic field. In turn,
this electric field forces charged particles to move in a
twin-celled convection pattern that is orthogonal to
both the Earth’s magnetic field and the electric field
(see Figure 3).

These ions move through a substantial neutral gas:
at 300 km there are approximately 1000 neutral
molecules and atoms for every ion, while at lower
altitudes the ratio is even greater. The ions collide with
this relatively dense neutral gas and dissipate their
energy in two ways. First, the momentum and kinetic
energy associated with the ions are transferred to the
neutral species through collisions that tend to drive the
neutral gas in a similar twin-celled convection pattern
to that of the ions. Because the total mass of the
neutrals is orders ofmagnitude greater than that of the
ions at the F2 peak (the height of the greatest electron
density in the ionosphere, which occurs at about
350 km), a considerable time is required for this
momentum transfer to take place. This delay is
commonly expressed as a time constant for the
momentum tranfer. Such time constants are of the
order of an hour ormore at solar maximum. Second, a
large amount of thermal energy is created by the
friction of these collisions. A portion of this energy
goes directly into heating the neutrals, while the other
portion goes into heating the ions. These ions, which
are hotter than the neutral gas, then undergo thermal
collisions with the neutral species, heating them
further. This entire process of frictional heating and
heat transfer from the ions to the neutrals, called Joule
heating, is the most thermodynamically important of
the three dissipative processes.

A number of consequences result from the dissipa-
tion of this energy from the magnetosphere. The
precipitating particles have several direct effects on the
composition and structure of both the thermosphere
and ionosphere. The input of heat causes upwelling
that changes the neutral composition. Also, the
momentum transfer from the ions to the neutrals
drives enhanced neutral winds, which can redistribute
thermal, momentum, and composition changes over a
wide horizontal area. These changes are discussed in
the next sections.

Ionization, Dissociation and Auroras

The ionizing effects of precipitating particles (espe-
cially primary and secondary electrons, but also
protons) were mentioned briefly in the preceding
section. As well as ionizing the neutral gas the
precipitating particles can also dissociate molecules,
either directly, or as a result of subsequent chemical
processes. These chemical processes also have impor-
tant thermodynamic consequences. Below 200 km,
exothermic chemical reactions involving both ions
and the odd-nitrogen species can be the major heating
source in the thermosphere. Also, during solar max-
imum conditions in particular, radiative cooling by
NO is a major cooling mechanism. In fact, in this part
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of the solar cycle, it can be the major cooling
mechanism in the region between 150 and 180 km.

The chemical reactions outlined in Figures 4 and 5
describe how these reactions occur. O produced by
these reactions is not included in these figures. As well
as producing heat and ions, these reactions also
produce the emissions that are seen as auroras. For
example, the common red and green auroras are
emissions fromatomic oxygen,which is an excited end
product of reactions between the ions and neutrals
that result in the production of excited atomic oxygen.

Other Effects of Auroral Energy Deposition

The large amounts of energy that flow from the
magnetosphere have important consequences beyond
those outlined in the previous two subsections. Strong
heating occurs around the auroral oval at heights
between about 110 and 150 km as a result of both
Joule and particle heating. The resulting hot air moves
upwards very rapidly; parcels of air in this region can
rise 150–200 km in a matter of hours in the regions
where Joule heating is strongest. Diffusive separation
with height was discussed earlier, and illustrated in
Figure 2. As a result of this separation, the heavier
molecular species dominate at lower altitudes, where-
as the lighter atomic species dominate at higher
altitudes. The rapid upward movement of air associ-

ated with Joule and particle heating results in the
heavier molecular species being advected upwards
more rapidly than diffusion can restore the atmo-
sphere to its equilibrium state. Thus, in the auroral
regions, the thermosphere near 300kmhas a far higher
proportion of the molecules with greater molecular
mass such as N2 and O2 than would be expected from
simple diffusive equilibrium considerations.

As this molecular-rich air is advected upwards
around the auroral oval it comes under the influence
of the horizontal neutral winds that are driven in the
twin-celled convection pattern discussed earlier. Mol-
ecular-rich air is then redistributed by the winds that
are blown from day to night across the polar cap as
part of the convection pattern. Because thesewinds are
not restricted by themagnetic field as the ions are, they
can extend a considerable distance beyond the auroral
oval on the night side. Thus, the final compositional
disturbance pattern extends far beyond the auroral
oval in the midnight region. But the Earth is also
rotating, and it takes these compositional disturbances
with it, extending the region of increased density of the
molecular species into the middle latitudes in the early
morning hours. Hence, there are strong composition
and density gradients across the high latitudes, which
can also cause large changes in the ionosphere.

Storms from the Sun

From time to time events occur in the solar wind
that cause high-latitude magnetosphere–ionosphere–
thermosphere coupling to become much more impor-
tant. The first of these, but the less powerful, occurs
when high-speed streams in the solar wind catch
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low-speed streams. A disturbance in the magneto-
sphere results from this interaction, the effects of
whichmarkedly increases the strength of the processes
discussed in the previous paragraphs.

Themost powerful geomagnetic storms occur when
a coronal mass ejection occurs. Some of these events
can have important consequences when they strike the
Earth’s atmosphere, as the processes described in the
previous section are much enhanced. Joule heating
increases dramatically, initially generating a large
gravity wave that propagates over the whole globe.
This Joule heating and the strengthened ion convec-
tion pattern drive a storm circulation that is very
different from the quiet circulation. The twin-celled
convection pattern continues to exist, but the winds
associated with it are much stronger and the horizon-
tal extent of the pattern is much greater (see Figure 6).
The subsequent (relative) convergence at lower lati-
tudes drives downward winds that heat these regions
as well. Thus, neutral temperature increases are seen
through the whole of the upper thermosphere. Even at
the equator, temperature enhancements can reach
200K. These temperature enhancements cause large
increases in density and hence in the drag on satellites
flying in lowEarth orbit, making tracking difficult and
decreasing the lifetime of the satellite. In addition, the
compositional disturbance, which was described ear-
lier, can extend to quite low latitudes, causing large
depletions in electron density that disrupt high-
frequency communications. Large ionospheric cur-
rents occur in the high latitudes, which can affect
power grids. Most of the space weather effects on
human systems occur during these events.

Measuring the Thermosphere

In the previous section the nature of the polar
thermosphere was discussed. A question that must
arise is how dowe knowwhat the polar thermosphere
is like. Unlike the lower atmosphere, it is not a region
in which we can live. The nature of the polar
thermosphere was discovered both by experimental
measurements and by using models to interpret these
measurements.

Early History of Thermospheric Studies

Although various observations have indicated the
existence of the ionosphere for well over a hundred
years, direct observations of thermospheric composi-
tion, dynamics, and thermodynamics are of much
more recent origin. After the Second World War, V2
rockets became available to study the Earth’s upper
atmosphere. These were the first direct measurements
made of the thermosphere.

Rocket measurements mapped two important fea-
tures of the upper atmosphere: the increase of
temperature with increasing height above the top of
the mesosphere; and the cessation of turbulent mixing
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that was discussed earlier. As data became available,
early attempts were made to model this new region of
the atmosphere. Of particular interest to the later
understanding of the thermosphere was the work of
David Bates, who developed a simple, one-dimension-
al model of temperature and density variations with
height. This simple treatment still presents a surpris-
ingly accurate description of the average behavior of
the thermosphere 40 years later.

Ground-based measurements of aurora and the
airglow have a much longer history. Attempts to
explain the aurora have continued over many centu-
ries. The first airglow observations began later, with
observations of the green line (557.7 nm) in the late
nineteenth century. In parallelwith these observations,
extensive laboratoryworkwas carried out to provide a
physical and chemical basis for them. All of the
instruments (e.g., the Fabry–Perot interferometer) that
have subsequently been used for ground-based and
space-based optical remote sensing were first used for
upper atmospheric studies from the ground during this
period.While these observations provided a wealth of
information on these subjects, their utility in deter-
mining the structure and behavior of the thermosphere
was limited by the difficulty in determining the height
at which the airglow was produced. It was not until
rocket and space flights occurred that this information
was available in a rigorous manner.

Thus a new era in thermospheric studies began with
the dawn of the space age. Satellites became available
that could make both direct and in situmeasurements
of the region. Derivatives of the first space-borne
instruments, the missions that they flew on, and more
recently developed instruments and techniques are
discussed in the next section.

Satellites and Rockets

After the ‘space age’ began, satellite orbitswere seen to
decrease in altitude. It was deduced that the rate of this
decay could be used to infer information about the
density structure of the thermosphere. Many of the
larger-scale variations of the thermosphere that are
described in the next main section were calculated
using these drag measurements. They were also used
by Jacchia to develop the first successful data-derived
models of the region.

Although these drag measurements provided infor-
mation about the large-scale structure of the thermo-
sphere, they were not detailed enough, nor did they
describe enough parameters, to allow first-principles
theoretical models and accurate aeronomical schemes
to be developed. For this a new type of investigation
was needed, at first using in situ measurements and
later combinations of these instruments with others

capable of making measurements remotely. The first
such instrument flown successfully on a satellite (they
had been used earlier on sounding rockets) was the
mass spectrometer that flew on board Explorer XVII
in 1965. This instrument and its later derivatives
worked by ionizing the neutral gas, accelerating it, and
then passing the resulting stream through a magnetic
field that separated the ions according to their masses.
The detector then registered the densities for each
mass.

One development of the mass spectrometer includ-
ed a baffle across its front orifice. Bymoving this baffle
across the opening, the perpendicular components of
the neutral wind and the neutral temperature could be
calculated. Recently studies have been undertaken to
develop an instrument that can successfully derive the
in situ ram component of the neutral wind as well.

Another instrument that has been used extensively
in satellite missions is the accelerometer. This instru-
ment has been used both for spacecraft control and
scientific investigations. It measures the electrostatic
force required to balance the acceleration on the
instrument. From this measurement the drag on the
spacecraft, and hence the neutral density of the
surrounding gas, can be measured.

In situ measurements measure only at the location
of the satellite that they are on. More information
about height profiles, and information about the
horizontal variation of parameters, can be obtained
by remotely sensing thermospheric emissions.

Two space-borne instruments that measured the
thermosphere remotely, the Visible-Airglow Experi-
ment (VAE) and the Ultraviolet Nitric Oxide (UVNO)
experiment, flew on board the Atmosphere Explorer
satellites. The UVNO was an Ebert spectrometer
designed to measure resonance fluorescence of sun-
light by NO in the (1, 0) band of NO at 215 nm. The
airglow intensity was obtained by measuring the
difference between this emission and a reference
emission at 219 nm. These intensities were then
inverted to yield altitude profiles of NO above about
80 km. A number of subsequent satellite missions and
rocket flights have used these techniques to study NO
concentrations in the mesosphere and thermosphere.

The other remote sensing instrument on board the
later Atmosphere Explorer satellites, the VAE, was a
photometer that was designed to measure various
auroral and airglow features that lie in the spectral
region between 300 and 750 nm. The two main
emissions studied were from atomic oxygen. Excited
atomic oxygen radiates at both red (630.0 nm) and
green (557.7 nm) wavelengths. The red line is emitted
in the upper thermosphere above 200 km. Below this
altitude the emission is quenched. The green line is
seen lower in the atmosphere. It has a maximum at
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97kmnear the top of themesopause, but it can be seen
to altitudes of about 200 km.Above about 150 km, the
temperatures calculated from green line emissions do
not reflect the ambient atmospheric temperature.

The VAE was, in a way, a precursor to a successful
group of Fabry–Perot interferometers (FPIs) devel-
oped. The FPI uses twin etalon plates to set up a series
of interference fringes for a particular wavelength of
light, corresponding to an airglow emission in the
upper atmosphere. Information about the geophysical
conditions in the emitting layer is deduced by ana-
lyzing the fringes, which normally approximate a
Gaussian shape. Shifts in the position of the center of
the fringes give information about the winds through
theDoppler effect. Temperature information is gained
from the broadening and narrowing of the fringes.
Lastly, the total area under the fringes gives informa-
tion about the density of the species that is responsible
for the emission.

Another optical remote sensing instrument that has
undertaken thermospheric measurements is an imag-
ing, field-widened, Michelson interferometer. In this
instrument the optical path difference (the travel time
delay between the two pathsmultiplied by the vacuum
velocity of light) is scanned from zero to some final
value. The resulting output is the Fourier-transformed
spectrum. From it are calculated winds, temperatures
and the emission rate from a number of lines.

Various other ultraviolet emissions have also been
used to study the thermosphere. Auroral imagers have
been used to gain large-scale instantaneous informa-
tion about variations in neutral composition. The
major atmospheric species O and N2 radiate in the
ultraviolet wavelengths. There are OI (excited atomic
oxygen) bands at 130.4 and 135.6 nm and the N2

Lyman–Birge–Hopfield (LBH) emission occurs over
an extended spectral range from B130 nm to beyond
200.0 nm. By developing a model of these emissions it
is possible to obtain information about the column
density of O from about 135 km upwards and the
column value of O/N2 in a similar height range. These
images present instantaneous large-scale information
about the behavior of thermospheric composition.

The first attempts to sound the region that is now
called the thermosphere were made by rockets (see
above). Since the space age began sounding rockets
have continued to be used in this role. However, as
more and more information has become available
from satellites and ground-based instrumentation,
their role has become more limited.

Ground-Based Measurements

Many of the satellite-based instruments have counter-
parts that have been used tomakemeasurements of the

thermosphere from the ground. As the principles
behind these instruments were discussed briefly in the
previous section, this discussion will not be repeated
here.

All optical satellite instruments have ground-based
counterparts. FPIs have been deployed successfully for
many years at a variety of ground stations. For thermo-
spheric studies they are run using the 630.0 nm
emission discussed earlier. A typical mode involves
running the instrument using orthogonal look direc-
tions so that the vector component of the wind can be
studied. Other parameters studied by these instru-
ments include temperatures and emission rates.

Both Michelson interferometers and Ebert–Fastie
spectrometers have been used to study the thermo-
sphere from the ground. These instruments, which
were also described earlier, have been used to study
temperatures and spectra in these roles. Like the FPIs,
they have been deployed in the high latitudes of both
hemispheres.

All-sky cameras have also been deployed on the
ground to study the thermosphere. These instruments
are comprised of a filter that determines the type of
airglow that will be imaged, an all-sky lens, and either
film or a charge coupled device (CCD) to register the
image.

Radars are also used to study the Earth’s upper
atmosphere. A number of radars are capable of
probing the region of interest in this article: For
example, ionosondes and incoherent scatter radars
(ISRs) do so, but they are primarily ionospheric
instruments.

Modeling the Thermosphere

Data-Based Models

The model that Bates developed to describe the
thermosphere was of limited utility to those who
needed a description of the global variations of the
thermosphere in response to various forms of dynamic
forcing. The Bates’ model was configured by applying
known values of temperature and density at the
boundaries. Hence, the insight gained from it could
not be extended to conditions at other locations and
times. With the coming of the space age a new type of
data-basedmodelwas developed, one that collated the
vast amounts of data that had been collected (e.g., the
Jacchia and MSIS models). The resulting models
contain information about thermospheric densities,
temperatures and composition for a wide range of
geophysical conditions and, being data-based, at their
core represent an average or climatological view of the
actual thermosphere. These models are empirical or
semiempirical. The former term refers to a model that
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is based solely on data. The latter term refers to a
model that is primarily based on data, but includes
theoretical concepts to interpolate and extrapolate
data into regions where measurements are infrequent
or nonexistent. The major, data-based, thermospheric
models are all semiempirical.

Theoretical Models

Unlike data-based models, theoretical models of the
thermosphere begin with an understanding of its
physics and chemistry and then solve a set of linked
equations to arrive at a description of the region. As
they relied on understanding physical and chemical
processes, the initial versions of these models were far
less accurate than data-based models, but over time
greater understanding of the processes involved has
improved them considerably.

In the long term theoretical models have several
advantages over data-based models. First, they do not
represent an averaged case, so they are readily adapt-
able to rapidly changing, weather-like events. Second,
the physics and chemistry needed to describe the
thermosphere are included in the models. It is rela-
tively easy to either change conditions or to interrogate
themodels tounderstandwhyobserved changes occur.
Finally, these models are self-consistent throughout
their horizontal and vertical extent. Although the
upper thermosphere is not data poor, relatively little
data has been available in the regions below about
200–250 km. Data-based models need to make as-
sumptions about the behavior of the atmosphere in the
lower parts of the thermosphere, whereas theoretical
models are entirely self-consistent.

Earlier models have been replaced primarily by
general circulation models (GCMs) and to a lesser
extent by local models and nested grid models. GCMs
solve physical and chemical equations that are appro-
priate for the thermosphere on a three-dimensional
grid. The basic equations are: the motion equations,
which are derived from the Navier–Stokes equation
and are essentially an expression ofNewton’s first law;
the thermodynamic energy equation; and a continuity
equation that is applied to density and composition.
In addition, it is assumed that the thermosphere
is incompressible and that it is in hydrostatic
equilibrium.

Two other sorts of theoretical models have been
applied in the thermosphere. The first is a local, or
limited area, model. Models of this type are two- or
three-dimensional and they are often applied to study
a particular phenomenon. Typically they have much
higher resolution thanGCMs. Localmodels have been
used to study the behavior of the atmosphere near
auroral arcs and to study various ionospheric phe-

nomena near the equator and their relationship with
the neutral atmosphere.

The second is a nested grid model. This type of
model uses higher-resolution grids within a certain
area of a GCM. A similar type of model, an adaptive
grid model, is also being developed.

The Future

Although a lot is known about the thermosphere and
the ionosphere, much still remains to be known. New
efforts are focusing on understanding the relationship
between this region and other nearby regions. In the
last couple of years the first efforts have been under-
taken to model the coupling between the thermo-
sphere–ionosphere system and themagnetosphere in a
self-consistent way. New models are also being devel-
oped that treat the atmosphere as a whole with
problems of coupling between the lower atmosphere
and the thermosphere/ionosphere finally being treated
in a self-consistent manner. Other models are being
developed to represent coupling from the Sun’s
atmosphere to the bottom of the thermosphere/iono-
sphere system.

New experimental investigations are also under-
way. The Thermosphere Ionosphere Mesosphere En-
ergetics and Dynamics (TIMED) mission is looking at
mean energetics in the mesosphere and lower thermo-
sphere. The Relocatable Aeronomical Observatory
(RAO) will provide new measurements from the
ground (aeronomy is the term used to describe the
study of the upper atmosphere).

There is much still to be learned about this region.
Space weather is an important topic in the thermo-
sphere–ionosphere system because of its relevance to
human activity, yet its effects cannot be modeled
adequately. Furthermore, relatively few measure-
ments have been made of the region between 100
and 200 km and it is not known how well models
represent this region. Finally, there are many issues
related to the coupling between the ionosphere and the
thermosphere that have still to be resolved.

See also

Atmospheric Tides. Ionosphere. Magnetosphere.
Mesosphere: Metal Layers; Polar Summer Mesopause.
Radiation (Solar). Thermosphere.
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Introduction

Chaos is difficult to quantify. The nonlinear dynamic
that gives rise to chaos links forecasting on the shortest
time scales of interest with behavior over the longest
time scales. In addition, the statistics which quantify
chaos forbid an appeal to most of the traditional
simplifications employed in statistical estimation.
Nevertheless, both the concept of chaos in physical
systems and its technical relative in mathematics have
had a significant impact on meteorological aims and
methods. This is particularly true in forecasting.
Chaos implies sensitivity to initial conditions: small
uncertainties in the current state of the system will
grow exponentially-on-average. Yet, as discussed
below, neither this exponential-on-average growth
nor the Lyapunov exponents that quantify it reflect
macroscopic predictability. The limits chaos places on
predictability are much less severe than generally
imagined. Predictability is more clearly quantified
through traditional statistics, like uncertainty dou-
bling times. These statistics will vary from day to day,
depending on the current state of the atmosphere.
Maintaining the uncertainty in the initial state within
the forecast is a central goal of ensemble forecasting
(see Weather Prediction: Ensemble Prediction).
Achieving the ultimate goal of meaningful probability
forecasts for meteorological variables would be of
great societal and economic value. Fundamental
limitations in the realism of models of the atmosphere

will limit our ability to make probability (PDF)
forecasts, just as uncertainty in the initial condition
limits the utility of single forecasts even if the model is
perfect.

Initially, it appears that chaotic systems will be
unpredictable, and this is true in that it is not possible
to make extremely accurate forecasts in the very
distant future. Yet chaos per se does not imply one
cannot sometimes make accurate forecasts well into
the medium range. And perhaps just as importantly,
with a perfect model one can determine which of these
forecasts will be informative and which will not at the
time they are made. As we shall see below, both the
American and the European weather forecast centers
have adopted this strategy operationally, with the aim
of quantifying day-to-day variations in the likely range
of future meteorological variables. Quantifying this
range can be of significant value evenwithout a perfect
model. Although accurate probability forecasts are
likely to require a perfect model, current operational
ensemble prediction systems already provide econom-
ically valuable information on the uncertainty of
numerical weather prediction (NWP) well into ‘week
two’, and research programs on seasonal time scales
are underway.

Why is perfect foresight of the future state of the
atmosphere impossible? First, it should be no surprise
that if our knowledge of the present is uncertain then
our knowledge of the future will also be uncertain; the
question of prediction then turns to how to best
quantify the dynamics of uncertainty. Here the full
implications of chaos, or more properly of nonlinear-
ity, mix what are often operationally distinct tasks:
observing strategy, data assimilation, state estimation,
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ensemble formation, forecast evaluation, and model
improvement. This complicates the forecasting prob-
lem beyond the limits in which classical prediction
theory was developed. First the traditional goal of a
single best first guess (BFG) forecast with a minimal
least-squares error is not a viable aim in this scenario,
nor is a least squares solution desired. Indeed (as
discussed below) this approach would reject the
perfect model which generated the observations!
Second, current models are not perfect. The term
‘model inadequacy’ is used to summarize imperfec-
tions in a given model and the entire model class from
which that model is a member. Model improvement
and the search for a superior model class, along with
the investigation of more relevant measures of model
skill, are areas of active research.

A Mathematical Framework for
Modelling Dynamical Systems

Chaos is a phenomenon found in many nonlinear
mathematical models. While one should never forget
the distinction between the model and the system
being modeled, precise mathematical definitions are
more easily made within the perfect model scenario
(PMS).Within this useful fiction, one assumes that the
model in-hand is itself the physical system of interest.
Before moving back to forecasts of the real world, of
course, one must recover from this self-deception.

Given a model, an initial condition is simply an
assignment of values to all model variables at a
particular starting time. Thus the initial condition
reflects the current state of the model: it is a vector xðtÞ
which specifies the value of every variable in themodel
at time t. For the classical model of a pendulum, the
state consists of two variables (the angle and the
angular velocity). These two numbers completely
define the current state of the model, and so the model
is called two-dimensional, or, equivalently, said to
have a two-dimensional state space. The famous
Lorenz model of 1963 is three-dimensional, as there
are three variables: x ¼ ðx; y; zÞ. These low-dimen-
sional systems shouldbe contrastedwith the state of an
operationalNWPmodel,whichmay consist of over 10
million variables.

The sequence of states a dynamical system passes
through defines the history of the system; this sequence
is called a trajectory. For deterministic systems, any
single state x along a trajectory defines all future states
of the system. For the classical pendulum, these
solutions can be written down analytically; but for
all but the simplest nonlinear systems only numerical
solutions exist. Thus it is difficult to prove that a given

realization of the Lorenz model is chaotic, and even
more so modern NWP models.

Chaos

Mathematically, a chaotic system is a deterministic
system inwhich (infinitesimally) small uncertainties in
the initial condition will grow, on average, exponenti-
ally fast. The average is taken over (infinitely) long
periods of time. Of course, finite uncertainties often
grow rapidly as well, in which case any uncertainty in
the initial conditionwill limit predictability in terms of
a single BFG of the future state, even with a perfect
model. But inasmuch as it is defined by the behaviour
of (infinitesimally) small uncertainties of (infinitely)
long periods of time, chaosper seplaces no limits of the
growth of finite uncertainty over a finite period of
time. Chaotic systems are often said to display
sensitive dependence on initial condition (SDIC), a
technical term for systems inwhich states initially very
close together tend to end up very far apart, eventually.

Suppose the true state of the system is ~xx: what is the
behaviour of a near-by solution x̂xwhere x̂x ¼ ~xxþ e? In
the pendulum, a small initial e grows slowly, if at all. In
a chaotic system, the magnitude of e will grow
exponentially-on-average; yet this does not imply
that the actual magnitude of e ever grows exponenti-
ally in time. Indeed, since e is a distance and jej >0 for
any given value of t, one can always define a value

l ¼ 1

t
log ½jeðtÞj=jeð0Þj�

for any system, chaotic or not! In this case, observing a
value of l >0 for finite t does not even suggest
exponential growth. Statistics like l become interest-
ing only when they approach a constant as t ! 1; by
definition, chaos reflects properties only in this limit.

Clearly, chaos includes special cases where magni-
tude of e is growing uniformly, say doubling every
second; but it also allows the more common case
where the growth of e is a function of the state x and
hence changes with time. In general, the growth will
not be uniform in time. In fact in some chaotic systems,
including the Lorenz 1963 model, there are regions of
the state space in which every e will decrease! Such
regions are said to represent ‘return of skill’ as
forecasts become more accurate in the least-squares
sense as time passes.

For instance, consider the case where, on average,
half the time e is constant and the other half of the time
it grows by a factor of four. This will yield in the same
exponential-on-average growth as doubling every
time step, yet there will be times when prediction is
easy. Or for a more extreme case, consider where e
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shrinks by a factor of two 9 times out of 10, but once in
10growsby a factor of 219 (about half amillion); again
this is exponential-on-average growth equivalent to
doubling every time step. The question, then, is
whether or not these variations of predictability can
be identified in advance. As discussed below, ensemble
forecasts aim to do just that.

The Statistics of Chaos: Lyapunov
Exponents and Doubling Times

Given a deterministic system which remains in a
bounded region of state space, chaos is defined by a
statistic called the Lyapunov exponent. In a one-
dimensional system, the Lyapunov exponent reflects
the logarithm of the (geometric) average growth of
infinitesimal uncertainties. In the limits e ! 0 and
t ! 1, the geometric average of jeðt þ 1Þj=jeðtÞj
defines the Lyapunov exponent, usually called l.
Note that nowhere is there the suggestion that
jeðtÞj � jeð0Þjelt. A system will have as many Lyapu-
nov exponents as the dimension of the state space. The
largest Lyapunov exponent is often called the ‘leading’
Lyapunov exponent, and if the leading Lyapunov
exponent of a bounded deterministic system is posi-
tive, then the system is ‘chaotic’. Hence the three
systems noted above – one in which e doubles every
time step, and the other two in which e sometimes
grows and sometimes does not – each have the same
Lyapunov exponent. Typically, the logarithm is taken
with base two, so that if, for example, the uncertainty
doubles every second, the Lyapunov exponent is one
bit per second, thus the Lyapunov exponent is an
average rate.

Also note that for every statexon the attractor, there
corresponds a unique direction in state space associ-
ated with the leading Lyapunov exponent. If the state
space has a dimension greater than one, then estimat-
ing Lyapunov exponents involves matrix multiplica-
tion along a trajectory.Matrixmultiplication does not
commute, thus when dealing with statistics like
Lyapunov exponents one has to apply multiplicative
ergodic theorems; this makes many of their properties
appear counterintuitive. Many intuitive methods of
statistical estimation fail when applied to chaotic
systems. None of this is surprising, since most statis-
tical intuition is developed in the context of more
familiar ergodic theorems.

If the sumof all the Lyapunov exponents is negative,
then the trajectories will evolve towards a set whose
dimension is less than the dimension of the state space;
this set is called an ‘attractor’. An attractor may be
something as common as a fixed point, a periodic
orbit, or a torus; in such cases the attractor has simple

geometry. Alternatively, an attractor may have a
strange geometry: it may consist of a fractal set of
points in state space, inwhich case it is called a ‘strange
attractor’. Note that being chaotic reflects a property
of the dynamics of the system, while strangeness
reflects the geometry of the set on which the system
evolves, not the dynamics of the evolution itself. Given
a chaotic systemwith a strange attractor, the choice of
initial conditions should reflect the local structure of
the attractor, yet this structure is determined by the
long-time behavior for the system. In this way, chaos
links the longest time scales of the system to the
shortest time scales of interest.

The attractor of the Lorenz 1963model with typical
parameter values is shown in Figure 1. It is believed
that there are parameter values for which the Lorenz
1963 model has chaotic dynamics on a strange
attractor, but, as noted above, such properties are
difficult to prove even in this fairly simple system of
equations.

In meteorology, the doubling time, t2, provides a
more traditional measure of predictability than the

Figure 1 The distribution of uncertainty doubling times on the

Lorenz attractor. Points colored red double in less than one Lorenz

second. Points colored red have a t2o1 Lorenz time step, orange

points t2o2, and so on through yellow, light green, dark green,

blue, and purple. Themauve points on the inner and outer edges of

the attractor for which t2o7. The density of points with t2o5 has

been reduced for clarity. The visible line in the foreground which

separates red points from each of the other colors shows the

locationof pointswhichdouble just as theyenter the region inwhich

all uncertainties decrease, referred to in the text. (Adapted with

permission from Figure 1 of Smith LA (1994) Local optimal

prediction. Philosophical Transactions of the Royal Society of

London Series A 348: 371–381.)
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Lyapunov exponents. It is also a more relevant
measure, although if the growth is not uniform then
the time required for an initial uncertainty at x to
increase by a factor of four will not be twice the
doubling time at x (or, more generally, tq2 6¼ 2tq). In
practice, one just has to look at the statistics. An
average time is a more relevant measure of predicta-
bility than an average rate. Computing an average rate
requires stating the duration over which to average a
priori, while the relevant time scale is itself the
quantity of interest. In fact, one can generate a family
of chaotic systems each of which has a leading
Lyapunov exponent greater than one, yet containing
members with an average t2 as large as desired!
Indeed, estimating a time-like statistic with the inverse
of an average rate is a dubious endeavor. To convince
yourself of this, consider estimating the average value
of a by one over the average of 1=a, when a is
uniformly distributed between zero and one.

In Figure 1, points on the Lorenz attractor are
colored by the doubling time of an infinitesimal
uncertainty aligned initially in the local orientation
corresponding to the leading Lyapunov exponent. The
coloration is neither uniform nor random. Note the
line separating the red points on one side from the
band of each color on the other. The origin of this
demarcationwill be explained in the next section. Red
points have a t2 of less than one second, for orange
points it is less than two, and so on through yellow,
light green, dark green, blue, and purple. The mauve
points on the inner and outer edges of the attractor for
which t2 > 7. This is a clear illustration that predict-
ability will vary with initial condition in an organized
way! Which, in turn, suggests that predictability will
vary in a predictable way: quantifying this in practice
is the goal of ensemble forecasting. Yet evenwithin the
PMS, one is interested in finite initial uncertainties and
forecasts over a finite duration. The accuracy of such
forecasts need not reflect the Lyapunov exponents of
the system in any way. Thus chaos per se places few
restrictions on predictability.

True Limits of Predictability

So what are the limits to predictability of a chaotic
system? The answer depends on the use to which the
forecast is to be put.

Linear prediction theory aims to identify the opti-
mal least-squares predictor: the model which, on
average, yields a BFG future state with the smallest
(squared) prediction error. This is a coherent approach
to Gaussian uncertainties evolved under linear mod-
els, but not when applied to nonlinear systems with
uncertain initial conditions.

If the initial condition is uncertain, then this
uncertainty will evolve nonlinearly. It can be proven
that given a series of uncertain observations of a
chaotic system, there will always be uncertainty in the
current state. This is the case even if a perfect model is
in hand and the observations extend into the infinite
past. Even then, there will be a set of indistinguishable
states, each consistent with the series of observations
and with the long-time dynamics of the system. The
ideal forecast is then an ensemble forecast, where the
members of the ensemble are drawn from the set of
indistinguishable states, and each member weighted
with its likelihood given the available observations. In
the limit of infinitely large ensembles, this forecast can
accurately quantify the relative probability of different
events and the decay of predictability, correctly reflect
the variations in each from day to day.

In practice, ensemble forecasting is a Monte Carlo
approach to estimating the probability density func-
tion (PDF) of future model states given uncertain
initial conditions. An ensemble forecast for the Lorenz
1963 system is shown in Figure 2. The vertical axis is
time, the horizontal axis is the variable x from the
Lorenz system, and each line at constant time repre-
sents the probability density function of x at that time.

At t ¼ 0 the system is near x � 0 and the initial
ensemble consists of 512 initial states, each of which is
both indistinguishable from the true state given the
observations and also consistent with the long-term
dynamics of the system (that is, ‘on the attractor’).
This constitutes a perfect ensemble. While only the
value of the x component is shown, each member of
the ensemble is a complete state of the system, and
corresponding figures could be drawn for y and z.

Initially the distribution spreads out as might be
expected, while the average value of x increases. At
t � 0:4, however, the volume of the convex hull of the
ensemble shrinks, showing a true ‘return of skill’ as the
ensemble enters a region where all uncertainties
decrease! Here a BFG forecast at t � 0:4 is expected
to bemore accurate than the corresponding forecast at
t � 0:2. This is the origin of the discontinuity in
doubling times noted above in Figure 1: red points to
one side of the line double just before entering the
region, while points in the rainbow bands just across
the line enter the shrinking region before they double,
and must wait a finite time to be advected out of the
shrinking region before they might double. Hence the
discontinuity.

Returning to Figure 2, notice that as distribution
returns near x ¼ 0 at t � 0:7, a small fraction of the
ensemble members switch to the wing of the attractor
with negative values of x, while the majority make
another circuit with x >0. Owing to the symmetry of
the attractor, there is a somewhat artificial return of

1780 PREDICTABILITY AND CHAOS



skill at t � 1:5. After this, however, the ensemble
members dividemore evenly between the twowings of
the attractor, and the distribution turns blue. The color
here reflects the standard deviation of the forecast
ensemble.

At this point, the standard deviation of the forecast
is greater than that of a set of points taken at random
from the attractor (that is, the climatology). Many
classical measures of predictability would not see the
significant information content that the forecast ob-
viously continues to possess; good skill scores should
reflect the information content of the ensemble. Even
more worrying, the ‘optimal’ least-squares forecast at
t ¼ 2:7 would be near x ¼ 0 where there is zero
probability of observing the system. One important
point illustrated here is that knowing the mean value
exactly is often of much less value than knowing the

likely distribution of values even approximately. A
second point is that tuning nonlinear models with the
aim of a ‘better’ average least-squares error will make
the models worse, as it systematically forces model
parameters away from more realistic, but heavily
penalized, behavior. Such models are expected to be
underactive rather than realistic.

The information in the initial ensemble will slowly
diffuse away, and whether or not the information in
the forecast at any given time is useful depends on the
aims of the user. Eventually, any finite ensemble will
itself become indistinguishable from a random draw
from the climatology. At this point the forecast is
useless, but this time is unrelated to the Lyapunov
exponent, or the doubling time, or any other measure
of infinitesimal uncertainties.

Accountable Ensemble Forecasts

Corresponding to each probability forecast there is
only a single verification; thus no single forecast can be
evaluated. Rather, the quality of a (long) series of
probability forecasts must be considered. And inas-
much as nonlinearity will mix aspects of data assim-
ilation (see Weather Prediction: Data Assimilation),
ensemble formation and model inadequacy, the en-
semble prediction system (EPS) can be evaluated only
as awhole. This should not come as a surprise, since in
a nonlinear system one expects to lose the benefits of
linear superposition.

While the absolute accuracy of the EPS will vary
with the level of initial uncertainty, ensemble forecasts
under a perfect model using perfect initial ensembles
are ‘accountable’: the uncertainty in any forecast
variable computed from this ensemble will reflect the
true value with an accuracy limited only by the finite
number of members in the ensemble. Karl Popper
introduced the notion of accountability for BFG
forecasts in order to illustrate that a good model
should indicate how accurately the initial condition
must be measured in order to guarantee the accuracy
of a forecast at any fixed lead time. The notion is easily
extended to ensemble forecasts, in that an accountable
ensemble forecast system should indicate how large an
initial ensemble should be in order to reflect events
accurately with a given level of probability.

Of course, the detailed shape of each forecast
distribution will differ from day to day, Figure 2
shows the probability distribution for a particular
initial condition and set of observations. Yet if the EPS
is accountable, then as the number of members in the
ensemble is increased, the probability forecast will
growmore accurate in a predictableway. For example,
every time the ensemble size is doubled, the frequency
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with which any particular variable in the verification
will fall outside the ensemble will be cut in half. [In
fact, the ensemble size must be increased from N
members to ð2N þ 1Þ members, since the probability
that the next random draw falls outside the current
range is 2=ðN þ 1Þ.]

In practice, ensembles are not drawn from a set of
indistinguishable states; there are a number of com-
peting methods now used operationally, and other
methods are soon to join them. Current formation
schemes include sampling directions of forecast errors
of the recent past, or the directions of fastest growth in
the near future. Neither approach attempts to sample
the initial uncertainty accurately, and thus accurate
probability forecasts could not be expected from the
raw forecasts, even were the models to be perfect.

Operational ensembles typically consist of between
10 and 100 members, evolved over a duration of two
weeks, although seasonal ensembles are a current
topic of research. Recalling that operational model-
state spaces typically have ten million dimensions
gives an indication of just how difficult sampling the
initial uncertainty may prove to be. Despite the
technical difficulties, the value of operational ensem-
bles is reflected in Figure 3, a 42-hour forecast for 26
December 1999. The three panels in the top left corner
show the low-resolution (control) and high-resolution
(T319) BFG forecasts, and themore colourful analysis
(1 0 5)which serves as the verification. The color in the
analysis reflects the intense winter storm that swept
across Europe. The other 50 panels in the figure each
show a member of the ensemble forecast at t5142
hours. This collection of ‘postage stamp’ maps is
analogous to a single PDF at constant time in Figure 2.
Note that about 20% of the ensemble members
contain storms, and that even though there is no
known way to extract an accountable probability
estimate from this operational forecast, there is
significantly more information than is provided by
the control forecasts. In its present state, this infor-
mation is already of significant societal and economic
value.

Physical Systems and Mathematical
Models

Arguably that, no physical system is ever isolated, and
perturbations from outside the system imply that no
dynamical system can be perfectly modeled as deter-
ministic. What then does one mean by saying that a
physical system is chaotic? Lorenz (1993) suggests a
physical system should be called chaotic if its behavior
would be chaoticwere it to be isolated. This, of course,
assumes there is perfect mathematical description of

the hypothetical isolated system, but it is similar to the
manner in which other mathematical terms are inter-
preted in physics; for example, the definition of
periodicity in a physical system. Periodicity is a useful
concept in physics, although arguably no physical
system is truly periodic. Similarly, chaos may be a
useful concept within physics, even if no physical
system is truly deterministic.

One property that distinguishes periodic and cha-
otic systems is that periodic systems eventually return
to exactly the same state x in state space. While this
never happens in chaotic systems, near returns do
occur for all points on the attractor; the longer is the
duration of the observations, the closer are the nearest
returns. Such systems, like the Lorenz 1963model, are
said to be ‘recurrent’. What does it mean to say a
physical system is recurrent.

At this point one has to leave the perfect-model
scenario behind.Observations of a physical system are
at best uncertain measurements of variables in the
system’s state space (if such a thing exists); in order to
use them in the model the observations must be cast
into a model-state space. Mathematically, a data
assimilation scheme (see Weather Prediction: Data
Assimilation) is simply a projection operator which
accomplishes this task. Whatever the projection oper-
ator may be, the fact that forecasts are made in the
model-state space holds deep consequences for at-
tempts to make accountable probability forecasts.
Estimates of predictability reflect the limitations of our
models, while the underlying physical system is not so
constrained.

Once some method of data assimilation is adopted
so that the observations of the system can be projected
into the model-state space, one can ask if a physical
system is likely to be recurrent within a particular
model-state space. Will two similar states be observed
during the likely duration of the observations? Over
the lifetime of the system? Often the answer is yes.

Many physical systems are also recurrent within the
model-state space over the time of a typical experi-
ment. Near recurrence in the model-state space opens
up many modeling possibilities, the simplest being to
use (local) linear regression (see Data Analysis: Time
Series Analysis). It also introduces the possibility that
we can learn from past mistakes, improving the model
by identifying state-dependent systematic errors. Of
course, doing so may increase the dimension of the
model-state space to the extent that given the available
observations it is no longer recurrent!

Given that the estimated recurrence time of the
Earth’s atmosphere is longer than the lifetime of the
Solar System (longer, in fact, than the expected lifetime
of the Universe!), this remedy is not available
to meteorologists modeling the global circulation.
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Of course, one may be able to exploit recurrence in
building parameterizations (see Boundary Layers:
Modeling and Parameterization) or in applications
on smaller scales over shorter forecast horizons. But
chaos is defined for the system (or model) as a whole.
There is a clear anduseful intuition ofwhat ismeant by
the concept of ‘approximately periodic’, which is
lacking for the phrase ‘approximately chaotic’. Fur-
ther, it is not obvious how to interpret physical systems
as chaotic, if they are not expected to exist over the
time scales required for chaos tomanifest itself in their
mathematical analogs.

Loss of Predictability: Model
Inadequacy and Shadowing

In addition to uncertainty in the initial condition and
uncertainty in parameter values, meteorologists must
contend with ‘model inadequacy’: there are aspects of
the real physical system that our model is simply
unable tomimic.When nomodel in the available class
of models is structurally adequate to duplicate the
observed phenomena, it is unclear what is meant by
the ‘correct’ initial condition or the ‘true’ parameter
values. While the Bayesian agenda provides a princi-
pled scheme for handling uncertainty in initial condi-
tion and parameter value, no systematic approach is
available for handling model inadequacy. Progress
here requires having a good idea.

Recall that in the discussion of ‘uncertainty’ in the
initial condition above, itwas assumed that in addition
to abest-guess initial condition, x̂x, therewas also a true
initial condition, ~xx. The error in the initial condition
was defined as the difference between these twopoints.
When the model is imperfect, there is no ‘true’ initial
condition (even if the model variables have the
same names as the system variables) and the very con-
cept of ‘uncertainty in the initial condition’ has to be
reconsidered.

As an example, note that since the current resolution
of NWP models is at best tens of kilometers, many
different states of the atmosphere (with different
futures) will be mapped onto the same state of the
model. This is but one example of the projection
effects noted above: themodel initial conditions are, at
best, projections of the true system state into the
model-state space. The model cannot, then, be ex-
pected to reproduce the evolution of every atmospher-
ic state, simply because there are more atmospheric
states than model states! Of course, the model may
have trajectories which shadow the observed atmos-
pheric states, remaining indistinguishable from the
trajectory of the atmosphere given the observational
uncertainty. How might meteorologists distinguish

forecast failures due to limitations in the ensemble
formation scheme from those due to model in-
adequacy? One approach is to look for ‘shadowing
trajectories’ within the historical observations.

Given an imperfect model, there may or may not be
a model trajectory that stays close to the series of
observed states, no matter which data assimilation
method is used to translate the observations into
model states. In this context, ‘close’ must be interpret-
ed in relation to the uncertainty in the observations. A
model trajectory that remains near a set of target states
is said to ‘shadow’ the target states. Each analysis will
have an associated shadowing time, just as it has an
associated value of t2. The distribution of shadowing
times reflects the relevance of model inadequacy.

If shadowing trajectories exist, then initial condi-
tion(s) which shadow may be cast in the role of ‘truth’
(that is, the role of ~xx) when computing uncertainty in the
initial condition, at least for forecasts that are short
relative to the duration over which the model can
shadow. This suggests that our very definition of
‘observational noise’ will itself depend on the quality of
the model in hand. Indeed, many data assimilation
schemes are based on the assumption that long shadow-
ing trajectories exist almost everywhere in state space.

If no shadowing trajectory exists on the time scale of
interest, then the model mixes ‘uncertainty in the
initial condition’ and ‘model inadequacy’ to the extent
that the former cannot be unambiguously defined. On
these time scales, all model trajectories differ signifi-
cantly from the observations: the set of indistinguish-
able states is empty, and there is no optimal method of
ensemble formation. Indeed, outside PMS the issue of
model improvement is linked to that of forecast usage;
there need be no unique best way forward. Neverthe-
less, current ensemble forecasts are of great value in
identifying when the forecasts are sensitive to uncer-
tainties in the initial condition, since any single BFG
forecast can be identified, at the time it is issued, as
unlikely to be an accurate anticipation of reality.
Hence they can be expected to provide useful identi-
fication of when the forecast will be unreliable;
empirical studies suggest they are also useful in
identifying forecasts which are likely to have high
skill. In addition, when two members of the same
ensemble lead to radically different forecasts in the
medium range, determining what distinguishes them
at short lead times can suggest valuable observations
for improving the forecast.

In addition to ensembles over initial conditions,
research is underway aimed at determining how
to better include stochastic effects into nonlinear
models. Such stochastic effects are commonly referred
to as ‘dynamical noise’ to distinguish them from
observational noise; the latter alters the observations
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but not the trajectory. A major difficulty here is
formulating a relevant state-dependent dynamical
noise, as the traditional approaches tend to spread
the forecast into unphysical directions. Using multiple
models provides one approach, stochastic parameter-
izations is another.

Current research is also exploring the use of
ensembles over distinct models, or even ensembles
over trajectories each ofwhich uses a variety of distinct
models. Ideally, these models should be independent,
so that they share as few common inadequacies as
possible. Methods for allocating resources among
models, and for the evaluation of the distributions so
obtained as forecasts, provide yet other interesting
areas of current research. The traditional goal of
identifying the ‘optimal’ least-squares predictor need
no longer be a desirable end for any real forecast user.
Modern forecast users, in particular industrial users,
are quite capable of exploiting probability forecasts.

Since the introduction of the electronic computer,
indeed since L. F. Richardson’s computations early in
the last century, weather prediction has been at the
forefront of research into the predictability of nonlin-
ear dynamical systems. One safe forecast is that it will
remain there for the foreseeable future.

See also

Boundary Layers:Modeling and Parameterization.Data
Analysis: Time Series Analysis. Weather Prediction:
Data Assimilation; Ensemble Prediction.

Further Reading

Lorenz (1993) provides a general introduction to both
the history and physics of chaos, while Smith (1998)
is an overview of the implications chaos holds
for philosophy as well as a general introduction.
Introductions to both operational and theoretical
ensemble forecasts can be found in Palmer (2000) and
Smith et al. (1999), respectively. A general discussion of
the role of model inadequacy in predictablity from
philosophical, physical, and Bayesian perspectives can
be found in Cartwright (1983), Smith (2001), and
Kennedy andO’Hagan (2001), respectively and reference
thereof.
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Introduction

The concept of quasi-geostrophic flow is a cornerstone
for the study of midlatitude synoptic and larger-scale
atmospheric flow. It is founded upon two seemingly
contradictory deductions regarding the nature of such
flows: the observed flow is almost geostrophic and yet
the maintenance of geostrophy and the existence of
other key features of synoptic weather systems require
a non-geostrophic flow component. This antinomy is
resolved by the concept of quasi-geostrophy. It is
encapsulated in two simple and elegant equations that
prescribe respectively the evolution of the primary
‘geostrophic’ flow and the form of an accompanying
secondary ‘ageostrophic’ flow forced exclusively by
the primary field. The net of these geostrophic and
ageostrophic components is referred to as quasi-
geostrophic (QG) flow. Here the concept’s observa-
tional foundation and theoretical formulation are set
out, and the dynamics of one synoptic development is
illustrated and interpreted from a quasi-geostrophic
standpoint.

Observational Foundation

For synoptic-scale flow of the free atmosphere away
from the Earth’s surface, the approximate conserva-
tion equations for horizontal momentum, mass, and
thermodynamic energy can bewritten in the following
forms:

DHV

Dt
þw

qV
qz

¼ �f ðk ^ VÞ � =H
pn

r0
½1�

=H .Vþ 1

r0

qðr0wÞ
qz

¼ 0 ½2�

DHðgyn=YÞ
Dt

þN2w ¼ H ½3�

The corresponding approximate form for the hydro-
static relationship is given by

qðpn=r0Þ
qz

¼ gyn

Y
½4�

Here t stands for time and k is the vertical unit-vector.
The flow variables ðV; wÞ represent respectively the
horizontal vector velocity and the vertical velocity.
The thermodynamic variables ðp; r; yÞ denote respec-
tively the pressure, density, and potential temperature,
with the zero subscript referring to a time-mean
horizontally averaged vertical structure and the
starred superscript signifying the deviation away
from that state. In addition, =H is the horizontal
gradient, f ¼ 2O sin j the Coriolis parameter (withO
denoting the Earth’s angular velocity and j the
latitude), N the mean state buoyancy frequency with
N2 ¼ gdðln y0Þ=dz, Y a reference potential tempera-
ture, and H the diabatic heating rate. Also, DH=Dt is
the rate of change following the horizontal motion of
an air parcel, and is related to the local rate of change
at a fixed point by the expression

DH

Dt
¼ q

qt
þ V .=H

� �
½5�

The momentum equation [1] states that a change in
the horizontal velocity of an air parcel results from an
imbalance between two forces: the Coriolis force due
to the Earth’s rotation and the horizontal pressure
gradient force. The equation for mass continuity [2]
states that an expansion in the horizontal cross-section
of an air parcel inducedbydivergence of the horizontal
wind field is compensated by a vertical contraction
accomplished by the vertical motion. The thermody-
namic equation [3] states that a change in the potential
temperature of an air parcel following the horizontal
motion can be induced in two ways: a vertical
transport of the potential temperature, and a diabatic
contribution that is the net of latent heat-related
processes, radiative transfer, and turbulent diffusion
effects.

Character of Geostrophic Flow

For synoptic- and larger-scale atmospheric flow the
dominant terms in the horizontalmomentumequation
are usually the Coriolis and pressure gradient forces. If
an exact balance prevailed between these two forces
then the momentum equation [1] would reduce to

�f ðk ^ VÞ ¼ =H
pn

r0

It follows from this equation that in such a state of so-
called ‘geostrophic balance’ the flowwould be aligned
perpendicular to the horizontal pressure gradient (i.e.,
along the contours of constant pressure) and its
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strength would be proportional to that pressure
gradient. Alternatively, for a given pressure field this
equation can be used to define a ‘geostrophic flow’,
and differences between it and the observed
flow provide a measure of the departure from
geostrophy.

Assuming for the moment a single value ðf ¼ f0Þ for
the Coriolis parameter then the equation for the
geostrophic flow field ðV ¼ VGÞ and the hydrostatic
relationship (eqn [4]) can be written in the compact
form

VG ¼ k ^ =Hc; and
gyn

Y
¼ f0

qc
qz

½6�

where c ¼ pn=f0r0. A striking inference is that the
spatial distribution of c (or equivalently pn) defines
both the geostrophic velocity field and the potential
temperature field. The function c is referred to as the
geostrophic stream function.

There are other notable features to geostrophic flow.
The geostrophic vorticity zG and geostrophic diver-
gence DG are given by

xG ¼ =H ^ VG ¼ =2
Hc ½7�

DG ¼ =H .VG ¼ 0 ½8�
Also, from eqns [6], the vertical variation of the
geostrophic flow and vorticity are given by

qVG

qz
¼ g

f0Y
ðk ^ =Hy

nÞ ½9�

qzG
qz

¼ g

f0Y
=2

Hy
n ½10�

A simple interpretation can be given to eqns [7]
and [10] on noting that, in the neighborhood of a
region where the scalar variable A has a local
extremum,

=2
HA / �A

Thus eqn [7] indicates that the geostrophic vorticity is
positive in a localized region of low pressure (and vice
versa), and eqn [10] that the vertical gradient of
vorticity is positive in a localized region of colder air
(and vice versa). Equation [8] equates the horizontal
divergence of the geostrophic flow to zero, and thereby
emphasizes the purely horizontal character of geo-
strophic flow. Equation [9] is a thermal wind relation-
ship indicating that the vertical variation of the
geostrophic wind is aligned such that the potential
temperature is relatively cold (warm) on its left (right)
flank.

Nature of Synoptic-Scale Flow

An indication of the extent to which the atmosphere’s
synoptic scale flow conforms to the foregoing geo-
strophic interrelationships (i.e., eqns [6]–[10]) is as
follows.

In Figure 1 synoptic charts for the North Pacific
sector (see the landmask in E) are shown that are valid
for 12.00 UTC 21 January 2000. At this time a low-
pressure system (namely, an extratropical cyclone)
was developing south of the Aleutian Isles. The
structure of the displayed fields can be compared
with the physical interpretation provided in the
text for the set of geostrophic interrelationships
(eqns [6]–[10]).

The pattern of the geopotential height field and
velocity vectors on the 700 hPa and 300 hPa surfaces
(Figures 1A and C) are in broad accord with the
geostrophic relationship (eqn [6]). To a first approx-
imation, the horizontal flow is aligned along the
isoheight contours and its strength inversely propor-
tional to the local contour spacing. Departures from
geostrophy (shaded areas) are evident in the neigh-
borhood of the cyclone at the lower level, in regions of
strong curvature of the upper-level flow, and in the
subtropics, where the Coriolis parameter is smaller. In
Figure 1B the vectors of the wind difference between
the 700 and 300 hPa levels are aligned approximately
along the isocontours of the mid-tropospheric
(500 hPa) potential temperature field, and this is in
qualitative accord with the thermal wind relationship
(eqn [9]).

The vorticity pattern on the 700 hPa surface (Figure
1D) has a maximum in the vicinity of the cyclone in
accord with eqn [7], and likewise on the 300 hPa
surface (Figure 1F) there are enhanced vorticity values
extending in a band around the base of the trough in
the height field. Intercomparison of the two panels
(Figures 1D and F) indicates that there is a decrease of
the vorticity with height above the low-level cyclone
and an increase with height below the upper-level
band. These vertical gradients are located in the
neighborhood of respectivelywarmer and colder areas
in the mid-tropospheric thermal pattern (see Figure
1B) and these colocations are consistent with eqn [10].

The divergence fields on the 700 hPa and 300 hPa
surfaces (Figures 1D and F) possess an amplitude that
is significantly less than the counterpart vorticity
fields, but it is nevertheless decidedly nonzero (cf. eqns
[7] and [8]). Moreover, the vertical structure of the
fields is distinctive, with an arched band of conver-
gence at lower level surmounted by a band of
divergence aloft. Such a dipolar vertical alignment
connotes ascent (see eqn [2]), and this is consistent
with the patterns of the mid-tropospheric vertical
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velocity field and rainfall shown in the intermediate
panel (Figure 1E).

Thus this inspection of the synoptic-scale fields
indicates on the one hand the predominantly geo-
strophic nature of the flow, and points on the other
hand to the existence of coherent and important non-
geostrophic flow features.

This simple characterization is paradoxical on two
counts. First, the occurrence of cloud and rainwithin a
synoptic weather system is not compatible with
geostrophic flow, since such processes require a
nonzero vertical velocity field. Indeed, as just indicat-
ed, the precipitation patterns correspondwell with the
vertical velocity and divergence fields. Second, there is
the issue of the sustainment of the geostrophic nature
of the atmospheric fields. Equations [1] and [3] are
independent prediction equations for the horizontal
velocity V and potential temperature y, and hence do
not necessarily ensure that geostrophy is maintained
with the passage of time. These two issues both
prompt and are central to the concept of quasi-
geostrophy.

Theoretical Formulation

In the quasi-geostrophic framework the atmospheric
flow field ðV; wÞ is conceived to comprise of two
components: a primary, geostrophic component VG

that is two-dimensional and defined by eqn [6], and a
secondary, three-dimensional ageostrophic compo-
nent ðVAG; wÞ, i.e.

ðV; wÞ ¼ ðVG; 0Þ þ ðVAG; wÞ ½11�

The ageostrophic component is deemed to be (see
later) the additional velocity field required to preserve
the flow in an almost-geostrophic (i.e., a quasi-
geostrophic) state.

The concept itself is formulated in the idealized
setting of flow taking place on and above a plane that
is tangential to the Earth’s surface at a specified
latitude ðj ¼ j0Þ located in the extratropics. On
this surface, commonly referred to as the b-plane,
the Coriolis parameter ðf Þ is taken to vary linearly
in the y-direction (i.e., poleward) and represented
by

f ¼ f0 þ by ½12�

where ðf0; bÞ ¼ ð2O sin j0, 2O cos j0=aÞ, with a
denoting the Earth’s radius.

A systematic introduction of the flow subdivision
of eqn [11] consistent with the primacy of the
geostrophic flow component further simplifies the
approximate momentum, continuity, and thermody-
namic relationships, (eqns [1–3]) to yield the quasi-
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Figure 1 Synoptic charts for the North Pacific sector (see land mask in (E)) valid for 12.00 UTC 21 January 2000, at which time a low-

pressure system (i.e., an extratropical cyclone) was developing south of the Aleutian Islands. The left, center and right panels are for

respectively the 700, 500, and 300hPa pressure surfaces (i.e., altitudes of� 3, 5, and 8 km). The upper panels (A) and (C) show the wind

vectors, geopotential height field (a proxy for the pressure distribution at an appropriate altitude), and the departure from geostrophy
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scale alongside panels), and the horizontal divergence fields (contour intervals in units of 10� 5 s� 1). In panel (D) the solid (dashed)
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geostrophic set of equations,

DGVG

Dt
¼ F ½13�

=H .VAG þ 1

r0

qðr0wÞ
qz

¼ 0 ½14�

DGðgyn=YÞ
Dt

þN2w ¼ H ½15�

with

F ¼ f0ðk ^ VAGÞ þ byðk ^ VGÞ
HereVG and yn are defined as before (eqns [6]),DG=Dt
refers to the rate of change following the horizontal
geostrophic motion, and F is a reduced form for
the sum of the Coriolis and pressure gradient forces of
eqn [1].

In this form the quasi-geostrophic set points to a
direct influence of the ageostrophic flow upon the
evolution of both the geostrophic flow (eqn [13]) and
the potential temperature (eqn [15]). However this
ostensible link is somewhat deceptive, and this is
rendered transparent on noting that, in the adiabatic
limit (i.e., H ¼ 0), the quasi-geostrophic set can be
recast as two independent equations:

(1) a prognostic equation for the so-called quasi-
geostrophic potential vorticity q,

DGfqþ byg
Dt

¼ 0 ½16�

where q depends exclusively upon the geostrophic
field, and

(2) a diagnostic equation for the vertical component
w of the ageostrophic flow,

N2=2
Hwþ f 20

qfð1=r0Þ qðr0wÞ=qzg
qz

¼ 2ð=H .QÞ þ f0b
qVG

qz
½17�

with Q a function of the geostrophic flow.
The prognostic equation hints at the independence

of the geostrophic field’s evolution from ageostrophic
effects, and the solution of the diagnostic equation
prescribes the ageostrophic field thatmust prevail for a
specified geostrophic field. The derivation and inter-
pretation of these two equations forms the centrepiece
of the next two sections.

Evolution of the Geostrophic Flow

To study the evolution of the geostrophic field consider
the rate of change of both the vorticity ðzGÞ and a

scaledmeasure of the stratification ðSÞ. It canbe shown
from eqns [13]–[15] that

DGzG
Dt

¼ �bvG � f0ð=H .VAGÞ ½18�

DGS

Dt
¼ Hþ f0ð=H .VAGÞ ½19�

where

S ¼ f0
r0

qfðr0=N2Þgyn=Yg
qz

and

H ¼ f0
r0

qfðr0=N2ÞHg
qz

Equations [18] and [19] indicate that the changes to zG
and S are influenced by: the geostrophic flow itself (the
bvG term); the diabatic heating (the H term), and the
ageostrophic flow (the =H .VAG terms). The geo-
strophic effect arises from the variation of f with
latitude such that poleward advection with the
geostrophic flow to a region of higher values of the
Earth’s vorticity ðf Þ is compensated by a reduction in
the geostrophic vorticity ðzGÞ, and vice versa. The
diabatic effect is such that the stratification S is
increased below and decreased above a maximum in
the diabatic heating rateH. The ageostrophic effect is
due to the horizontal convergence (i.e., vertical
stretching) and serves to spin up the fluid and hence
increase zG. It concomitantly reduces the vertical
gradient of yn and thereby decreases the stratification
S. However the net effect of the ageostrophic flow
upon the sum of the vorticity and stratification is zero.

It follows from summing eqns [18] and [19] that the
quasi-geostrophic potential vorticity qð¼ zG þ SÞ sat-
isfies the prognostic equation

DGfqþ byg
Dt

¼ H ½20�

with

q ¼ =2
Hcþ f 20

r0

qfðr0=N2Þ qc=qzg
qz

� �
½21�

Also, at a flat bottom boundary the vertical velocity
component w is zero and hence the potential temper-
ature (eqn [15]) simplifies to

DGðgyn=YÞ
Dt

¼ Hz¼0 ½22�

The reduced quasi-geostrophic set (eqns [20]–[22])
is self-contained and independent of the ageostrophic
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field (provided H is specifiable as a function of the
geostrophic state), and prescribes completely the
evolution of the geostrophic flow.

The set is notable for its physical simplicity, math-
ematical elegance, and novel interpretative perspec-
tive. From a physical standpoint, the entire evolution
of large-scale flow in midlatitudes is condensed to two
conservation relationships: air parcels moving adia-
batically with the geostrophic flow in the interior
conserve their value of fqþ byg (eqn [20]), and air
parcels moving adiabatically with the geostrophic
flow along the bottom boundary conserve their value
of yn (eqn [22]).

From amathematical standpoint, the set constitutes
a coupled initial-boundary value problem for fqþ byg
in the interior and yn on the boundary. Integration of
eqns [20] and [22] forward in time prescribes the
evolution of these variables, and inversion of the
elliptic eqn [21] for a specified interior distribution ofq
and boundary distribution of yn yields the concomi-
tant field of the geostrophic stream function.

From an interpretative standpoint, a simple phen-
omenological perspective of the flow and its evolution
can be developed in terms of the interior q and
boundary yn distributions. In principle it is possible to
‘partition’ both fields into subelements. A subelement
comprising a localized positive anomaly of q in the
interior (or of yn on the boundary) can be shown to be
associated with enhanced vorticity and stratification
and reduced pressure, and these signatures decay with
distance away from the anomaly. It is then appropriate
to regard the net geostrophic field as the superposition
of the individual sub-elements, and to view the flow
evolution as the self-development of, and interaction
between, these elements.

The reduced set (eqns [20]–[22]) encapsulates the
essence of quasi-geostrophic dynamics and is the
foundation for the study of synoptic and larger-scale
flow. For example, the set provides the platform for the
theoretical study of: large-scale planetary (Rossby)
waves and their propagation; barotropic and baro-
clinic instability; the perturbing effect of orography
upon the large-scale flow; and the large-scale dynam-
ics of the stratosphere. Also, the above-mentioned
phenomenological perspective, in conjunction with
the distinctive structure of the atmosphere’s potential
vorticity distribution, provides a physically meaning-
ful, conceptually attractive, and cartographically clear
method of viewing synoptic-scale flow.

Diagnosis of the Ageostrophic Flow

Insight on the role of ageostrophic flow can be
obtained by considering separately the rate of change

of the two terms in the thermal wind relationship (eqn
[9]):

DGfqVG=qzg
Dt

¼� f0R� f0

� k ^ ðf0 qVAGÞ
qz

þ by
qVG

qz

� �
½23�

g

Y
DG

fk ^ =Hy
ng

Dt
¼þ f0R

� fk ^ =HðN2wþHÞg ½24�

with

R ¼ qVG

qz
.=H

� �
VG

so thatR denotes the rate of change of the geostrophic
flow along the thermal wind vector.

Hence the rate of change of both the vertical shear
fqVG=qzg and the baroclinicity f=Hy

ng are influenced
by the geostrophic flow itself and the ageostrophic
flow. However, it should be emphasized that the
influence of the geostrophic R effect on the two terms
in the thermal wind relationship is equal and opposite.
In effect, the geostrophic component acts to destroy
the thermal wind balance, and hence the ageostrophic
flow must serve to restore that balance. Two stark
inferences are that (1) maintenance of the primary
geostrophic flow component necessitates the existence
of the secondary ageostrophic flow, and (2) the
ageostrophic component is determined by, and slaved
to, the geostrophic component.

The diagnostic equation introduced earlier (eqn
[17]) for the ageostrophic flow is often referred to as
‘the omega equation’ and can be derived from eqns
[18] and [19] or directly from eqns [23] and [24].With
the inclusion of the diabatic heating term it takes the
form

N2=2
Hwþ f 20

qf1=r0 qðr0wÞ=qzg
qz

¼ F ½25�

where

F ¼ 2ð=H .QÞ þ f0b
qVG

qz
þ =2

HH

and

Q ¼ �k ^ R

Thus ageostrophic flow is forced by the geostrophic
flow (the =H .Q and the b terms) and by diabatic
heating. The =H .Q term can be cast in various forms,
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but for interpretative purposes it is apt to note that

Q ¼ �j=Hy
nj k ^ qVG

qs

� �
½26�

where s is a local coordinate aligned along the poten-
tial temperature isoline with cold air located to its left.

For a prescribed geostrophic field, eqn [25] can be
solved numerically to determine the full three-dimen-
sional distribution of w, or alternatively utilized to
infer qualitatively the regions of major ascent and
descent. The latter procedure is as follows.

Inference of the Major Ascent and Descent Regions

It is possible to infer the major regions of low-level
ascent and descent directly by inspecting a single
synoptic chart for say the 700 hPa surface. The elliptic
nature of eqn [25] implies that an isolated region of

positive (negative) =H .Q will induce a negative
(positive) contribution to the w field. It also follows
that the corresponding Q vectors will tend to point
away from (toward) the region of the implied descent
(ascent).

It remains to locate the regions of largeQ. These are
demarked (see eqn [26]) by strong baroclinicity j=Hy

nj
and significant variation in the strength and/or direc-
tion of the geostrophic flow as viewed along the
isentrope (i.e., k ^ qVG=qs). (Note that eqn [26]
indicates that Q will point at 901 to the right of the
wind vector change).

To illustrate the utility of this procedure, consider a
700 hPa chart that displays the potential temperature
and the flow field (Figure 2A), and compare the
deductions with the computed Q vectors displayed in
Figure 2B and the analyzed vertical velocity field
depicted in Figure 1E. Coinspection of these figures
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indicates that: (1) significant vertical motion is indeed
confined to the strong baroclinic zone; (2) the des-
cent south-east of Japan (Figure 1E) is a region of
divergence of Q (Figure 2B) and of considerable
change in wind direction along the thermal trough in
the isentropic pattern (Figure 2A); and likewise the
ascent at the cyclone (Figure 1E) is paralleled by a
convergent Q pattern (Figure 2B) and contiguous
changes in wind strength along the isentropes
(Figure 2A).

Pinpointing a region of ascent is of particular
interest, since it also denotes a location that is
favorable for rain and likely to experience cyclogen-
esis. The latter linkage follows from noting that ascent
in the lower troposphere connotes horizontal flow
convergence (eqn [14]) and thereby induces in-situ
vorticity enhancement (eqn [18]) with a concomitant
decrease in the ambient pressure (eqn [7]), and hence a
tendency for cyclogenesis. (Likewise, descent implies
anti-cyclogenesis.)

This link between the Q-pattern and flow develop-
ment can be examined by inspecting a temporal
sequence of synoptic charts. For example, Figure 3 is
the analog of Figure 1 but pertains for one day later at
12.00 UTC 22 January, and the flow development
during this time interval should be foreshadowed by
the Q-pattern at the earlier time (Figure 2). Figure 3
shows that both the low-level cyclone and the upper-
level troughmoved eastward and strengthened (Figure
3A and C), and the midlevel thermal pattern sharp-
ened and acquired an S-like shape (Figure 3B).
Likewise there was an eastward shift and intensifica-
tion of the vorticity and divergence patterns (Figures
3D andF), and again the upper-to-lower level dipole in
the divergence pattern connotes and conforms with an
arched region of ascent and precipitation (Figure 3E).
This evolution is indeed in qualitative agreement with
theQ-pattern. In particular, the pattern’s divergence at
the base of the trough and convergence ahead of the

cyclone captures the respective anticyclonic and
cyclonic development at these locations. Also, the
alignment of the Q vectors across the baroclinic zone
in Figure 2B is consistent with the eastward propaga-
tion of that zone.

The exercise can be repeated using Figure 4 (the
analog of Figure 2 but for 12.00 UTC on 22 January).
At this later time, similar but stronger signatures are
now evident in theQ-pattern and imply, in conformity
with the subsequent development (not shown), a
further deepening of the cyclone and strengthening
of the baroclinic zone.

Limitations and Refinements

The quasi-geostrophic set of equations provides a first-
order and remarkably insightful representation of
synoptic and larger-scale atmospheric flow. Neverthe-
less, it is only a first-order representation and is not
strictly valid in flow regimes with strong ageostrophic
flow such as usually prevails in the vicinity of major
mountain ranges and for large-scale tropical convec-
tive systems and the finer-scale features of extratrop-
ical weather systems. Moreover, intrinsic to the quasi-
geostrophic representation is the exclusion of buoy-
ancy and acoustic waves.

Extensions of quasi-geostrophic theory have been
developed that are predicated upon the existence of
some higher formof dynamical balance beyond that of
geostrophy (e.g., the semigeostrophic and geostrophic
momentum set of equations).
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a Earth’s radius
A0 time-mean and horizontally-averaged value
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f Coriolis parameter (s� 1)
g acceleration due to gravity (m s� 2)
H scaled measure of the vertical gradient of the

diabatic heating rate
H measure of the diabatic heating rate
k vertical unit-vector
N mean state buoyancy frequency (s� 1)
p pressure
q quasi-geostrophic potential vorticity (s� 1)
R spatial variation of geostrophic flowalong the

thermal wind vector (m s� 2)
s local coordinate aligned along the potential

temperature isoline
S scaled measure of the stratification (s� 1)
t time
VAG ageostrophic velocity (m s�1)
VG geostrophic velocity (m s�1)
ðV; wÞ horizontal vector velocity and the vertical

velocity
b northward gradient of Coriolis parameter on

a tangent plane (m� 1 s� 1)
zG geostropic vorticity (s� 1)
y potential temperature
Y reference potential temperature
r density
j latitude
c geostropic stream function (m2 s� 1)
O Earth’s angular velocity
=H horizontal gradient operator
=2

H horizontal Laplacian operator

=H .Q geostrophic forcing of ageostrophic flow field
(m� 1 s� 3)

=Hy
n measure of the baroclinicity

See also

Baroclinic Instability. Coriolis Force. Cyclogenesis.
Cyclones, Extra Tropical. Dynamic Meteorology:
Balanced Flows; Potential Vorticity. Fronts. Middle At-
mosphere: Planetary Waves. Rossby Waves. Station-
ary Waves (Orographic and Thermally Forced).
Synoptic Meteorology:Weather Maps. Vorticity.
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Introduction

Cloud radars (Figure 1) are active remote sensors that
transmit at millimeter wavelengths and are particu-
larly suited for determining the properties of nonpre-
cipitating clouds such as stratus, altostratus, and
cirrus. Millimeter-wave radars typically operate near
35GHz (l ¼ 8:6mm, Ka-band) or near 94GHz
(l ¼ 3:3mm,W-band), which are frequency ‘window’
regions where absorption by atmospheric gases are at
a minimum. Despite this, attenuation from atmos-
pheric liquid and vapor is more of an issue for these
short-wavelength radars than for longer-wavelength
(centimeter scale) weather radars. Therefore, cloud
radars often have range limitations of 20 km or less
and are not suitable for observing conditions of
moderate to heavy rainfall. The primary advantage
of shorter-wavelength radars lies in their sensitivity to
small ice particles and cloud droplets that can be two
orders of magnitude smaller than typical raindrops.
Some millimeter cloud radar systems are multiparam-
eter; in other words, they transmit and receive
electromagnetic waves at more than one wavelength
or polarization.

Millimeter-wave radars are still primarily research
instruments, typically unique prototypes designed and
operated by university, government, or private re-
search organizations. The rapid development of milli-
meter-wave cloud radars in the 1990s has been largely
driven by the need to observe characteristics of

nonprecipitating clouds in order to determine cloud
impacts on global atmospheric radiation and conse-
quences for climate predictions by large global climate
models. In addition, scanning and airborne millimeter
radars are used to make measurements necessary for
understanding the physics of precipitation and the

Figure 1 Portable cloud radar installation. (Photo credit Tom

Ayers.)
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mechanisms by which precipitation forms. Cloud
radars also are providing promising technologies
for some operational applications, such as remotely
sensing aircraft icing conditions (Figure 2).

Physics

Radar backscattering cross-sections (s) for small
particles vary inversely with the radar wavelength (l)
to the fourth power (s / l�4). This physical property
is the basis of the utility of short-wavelength radars for
observing small particles and it enables cloud radars to
utilize small antennas and to transmit peak power
levels that are many orders of magnitude lower than
those ofweather radars. The beamwidth (y) of a radar
is related to the wavelength (l) and the radar antenna
diameter (A) by the relationship y / lA�1. This
relationship means that, relative to antenna size,
shorter-wavelength radars can obtain narrower
beamwidths; this, combined with short power pulses,

allows for high-resolution observations (on the order
of tens of meters) capable of resolving the fine-scale
structure of clouds. With their lower power and small
antenna requirements, cloud radar systems are ideal
for portable systems that can be deployed in field
experiments, in remote locations, as well as on ship,
aircraft, and satellite platforms.

Received radar power (P) is measured in decibels
(dB) referenced to 1milliwatt (dBm) or 10 log10
ðP=mWÞ. The log scale is necessitated by the fact
that returned power can vary over 8 orders of
magnitude. The total received radar power is a
function of three factors: distributed cloud target
characteristics (effective reflectivity factor measured
in dBZe referenced to 1mm6m� 3), the distance of the
target(s) from the radar (r), and the radar constant
(RC), which is based on the radar hardware charac-
teristics (eqn [1]).

PðdBmÞ ¼ Zr ðdBZrÞ � 20 log rðkmÞ � RCðdBÞ ½1�
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Figure 2 Use of cloud radar to sense aircraft icing conditions. (Figure courtesy of Brooks Martner.)
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This equation indicates that a smaller radar constant
(RC) will result in more sensitive radar, since for a
given atmospheric return (Zr) at a given range (r), a
smaller value ofRC results in a stronger received signal
(P). Thus, a critical goal of radar hardware design is
minimization of the radar constant by optimally
designing such factors as transmitted power level
and antenna size. The radar reflectivity factor in dBZr

can be converted to standard radar units of mm6m�3

using eqn [2].

Ze ¼ 10ðdBZr=10Þ ½2�
For Rayleigh scattering conditions (D{l), the equiv-
alent radar reflectivity factor of a population of
hydrometeors is related to the diameters ðDÞ of equal
volume spherical particles (mm) and particle size
distribution ðNÞ. For water dropletsZr is given by eqn
[3] and for ice particles by eqn [4], where r0 is the ice
particle bulk density in g cm� 3. These two equations
are the basis for obtaining cloud microphysical prop-
erties from radar reflectivities.

Ze ¼
Z 1

0

NðDÞD6 dD ½3�

Ze ¼ 0:2

Z 1

0

NðDÞ½Dr0:33330 �6 dD ½4�

Typically, cloud radars also measure small Doppler
shifts between the transmitted and received signal,
which enables the calculation of the radial speed of
cloud hydrometeors away from or towards the radar.
Velocity measurements can be achieved with a preci-
sion on the order of 5 cm s� 1; this is precise enough to
be useful in measuring the fall velocities of ice crystals
or cloud droplets as well as the turbulence character-
istics of clouds. Some systems also record the complete
Doppler spectra, in other words, the frequency distri-
bution of Doppler velocities of the billions of hydro-
meteors within each radar sampling volume. Others
record only thewidth of theDoppler spectrum inorder
to reduce the size of the collected data set.

History

One of the earliest meteorological uses of millimeter-
wave radars was by the US Air Force, which operated
35GHz radars at airbases as aids to aviation opera-
tions and forecasting in the 1960s. These non-Doppler
systems successfully determined bulk cloud geometry,
for instance cloud layer altitudes; however, these
systems were eventually decommissioned owing to
repeated failures with hardware. Some of the systems
and parts from the systems were transferred to

university research groups, but in general, the late
1970s and early 1980s were a period during which
work with millimeter-wave radars declined. In the
early 1980s, advances in solid-state, low-noise elec-
tronics inspired a number of research groups to
develop both surface-based and airborne cloud radars
and to demonstrate their usefulness for elucidating the
properties of nonprecipitating and lightly precipitat-
ing clouds. In particular, scanning and depolarization
capabilities were added to greatly increase the utility
of these systems. In addition to the engineering
advances, innovative techniques for combining radar
and lidar measurements, as well as radar and radio-
meter measurements (microwave and infrared), were
developed that have led to the ability to estimate values
of important microphysical and optical cloud proper-
ties. These include, but are not limited to, crystal/
droplet size, concentration, water content, and cloud
optical depth. Radars with polarization capabilities
provide additional information for determining cloud
crystal or droplet shape and orientation, and by
inference, phase. The 1990s were also the first decade
when a few millimeter-wave radars began operation
on a continuous and long-term basis for climate
research.

Meteorological Applications

Cloud Structure

Nonprecipitating and lightly precipitating clouds are
predominant features of the Earth’s physical environ-
ment; however, quantitative measurements of seem-
ingly straightforward features such as cloud height
and thickness and the number of cloud layers have
historically been extremely difficult to obtain. With-
out radar measurements, the primary alternative for
observing these important cloud properties are detec-
tion of cloud bases from laser ceilometers operating at
airports and weather stations, cloud tops estimates
from satellite radiance measurements, and qualitative
visual estimates by human observers of the heights of
clouds and number of layers. In contrast, cloud radars
provide comprehensive and detailed information on
the geometrical morphology of clouds within the
constraints of attenuation at one end of the detection
scale and nondetection of extremely small cloud
hydrometeors at the other. In interpreting cloud
boundaries, it must be considered that there is often
no significant difference in radar reflectivities between
cloudy regions and adjacent regions of precipitation;
these regions must be distinguished by the change in
structure of the Doppler velocities, the Doppler
spectra, or with additional measurements as might
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be provided by another instrument such cloud base
ceilometer or lidar. Figure 3 shows an example of
simultaneous, complex, multilayered cloud scenes
from operational cloud radars in Barrow, Alaska
(top panel) and in Lamont, Oklahoma (bottom panel)
for a 24-hour period on 29 July 1998. The labels on
the figure indicate a number of interesting features
detected by the radars including cirrus, melting-layer
bright bands, light drizzle, altostratus, boundary-layer
stratus, and insects.

Cloud Water Contents and Crystal and Droplet
Size Determination

A number of techniques that utilize cloud radar
measurements, either alone or in combination with
additional measurements from lidars or radiometers,
can be used to retrieve information on cloud proper-
ties. The term ‘retrieve’ in this context indicates the
process of theoretically inferring physical cloud mi-
crophysical and optical aspects (such as cloud water
contents, crystal or droplet sizes, and cloud optical
depths) from some combination of directly measured
quantities (such as radar reflectivity, Doppler veloci-
ties, radiometric brightness temperatures, and lidar
backscatter). These methods can be divided into those
that use radar data only, those that use radar and
radiometer data, and those that use radar data in
combination with lidar measurements.

The earliest radar-only retrieval methods were
based on empirical relationships between radar reflec-
tivity factor and ice water content (IWC) or liquid
water content (LWC) of the form given in eqn [5],
where the a and b coefficients were typically based
upon physical regressions from either in situ cloud ice
crystal or droplet measurements from aircraft or from
ground observations.

IWCorLWC ¼ a�ðZeÞb ½5�

Although useful, these methods tend to have a wide
range of variability in values of the a and b coefficients,
depending on the specific individual cloud data sets
that are used to determine the coefficients.

The next generation of retrieval techniques for ice
cloud parameters used radar reflectivity measure-
ments to obtain a cloud layer averageZe, and infrared
radiometer measurements of the brightness tempera-
ture of downwelling radiation in the 10 mm to 11.5 mm
spectral band to calculate cloud optical depth. Using
the fact that layer-mean reflectivity and the brightness
temperature are proportional to the sixth and the
secondmoments of the cloud particle size distribution,
respectively, cloud layer averages of crystal sizes canbe
estimated. The optical depth calculation can also be

used to determine a specific value for the coefficient a,
and a fixed value can be reasonably assumed for the
coefficient b, which in general has a smaller degree of
variability (between 0.55 and 0.75). Eqn [5] can than
be applied through the depth of the cloud to calculate
profiles of ice water content. From these profiles of ice
water content, mean particle diameters are calculated
by using an assumed relationship between ice crystal
size and bulk density. Additional adjustments to this
technique involve the use of the microphysical profiles
to calculate downwelling solar irradiances with a
radiative transfer model, comparison to measured
values, and iteration to achieve consistency with the
additional solar measurements.

A drawback to the techniques that incorporate
infrared radiometer data is that retrievals are limited
to situations in which ice clouds are optically thin and
are not observationally obscured by intervening liquid
cloudswhich obfuscate the radiometermeasurements.
The need for retrievals that can be applied to a broader
range of cloud types and multilayer situations has led
to the most recent development in radar-based retriev-
als that utilize radar Doppler velocities. In this
method, Doppler velocities are averaged over time
periods sufficient to average out the effect of vertical
airmotions to yield estimates of crystal fall speeds.The
crystal fall speeds can then be used to estimate crystal
sizes and ice water contents.

The development of retrievals for liquid clouds has
paralleled that of ice clouds, with estimates of optical
depth from infrared radiometers being replaced by
measurements of column-integrated liquid-water path
from microwave radiometers. The original empirical
relationships of the form described by eqn [5] were
followed by techniques that used the profile of radar
reflectivity, in combination with microwave radio-
metric liquid-water path, to determine a profile of
liquid-water contents based on the assumption that
the drop size distribution was lognormal and the
droplet concentration was constant through the depth
of the cloud. A second technique uses a priori data sets
fromaircraft collected in an ensemble of clouds similar
to those for which the retrievals are to be performed.
From these, empirical regressions are determined
between both radar reflectivity and liquid-water
content, as well as between radar reflectivity and
droplet sizes. This second technique can be used when
microwave radiometer data is unavailable or it is
unclear which cloud layers or levels contain the liquid
layers. Figure 4 shows an example of cloud-water
contents that have been retrieved for a low-level
liquid water cloud using radar and microwave radio-
meter, and an overlying upper-level ice cloud using
radar-only measurements of reflectivity and Doppler
velocity.
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Another completely different approach to retrievals
of cloud properties is to use cloud radar in combina-
tion with cloud lidar. Radar and lidar retrieval
techniques use Mie scattering theory and accounts
for partial attenuation of lidar signals. This enables
theoretical calculation of radar and lidar backscatter
cross-sections, and the ratios of the backscatter cross-
sections can be then computed as a function of particle
size. These computed curves can be used to interpret
measured radar and lidar cross-sections in terms of ice
crystal sizes.

Note that the methods described here have been
developed for either all-ice clouds or all-liquid clouds.
In the real environmentmany clouds havemixedphase
elements. Since these cloud types have different
microphysical and radiative characteristics than the
simpler single-phase clouds, their characterization
remains a priority research issue for the cloud radar
research community.

Crystal and Droplet Shape and Orientation

Electromagnetic radiation consists of perpendicular
electric and magnetic fields that can be directionally
oriented or ‘polarized’. By convention, the polariza-
tion of an electromagnetic wave refers to the direction
of the orientation of the electric field. Cloud hydro-
meteors will depolarize (change the orientation) of an
electromagnetic wave when it is scattered back to the
radar receiver as a function of hydrometeor shape

(with implications for cloud phase), aspect ratio,
orientation, and bulk density. Thus information on
these cloud parameters can be obtained by examining
how polarization of the received signal has changed
with respect to the transmitted signal. To measure this
change, the radar must transmit and/or receive in two
separate polarizations, allowing the calculation of
depolarization ratios. Such radars are referred to as
polarimetric or dual polarization radars. Various
polarization states ranging from linear to circular are
possible, depending on how vertically and horizon-
tally polarized pulses are mixed in the transmission
scheme.Common schemes include utilization of linear
depolarization ratios (LDR), circular depolarization
ratios (CDR), differential reflectivities (ZDR), and the
more recently developed 451 slantwise depolarization
ratios (SLDR). These are summarized inTable 1, along
with power ratio ranges that can result from different
types of cloud targets.

Theoretically, perfect spheres (such as very small
cloud droplets) will have no depolarizing effect on
electromagnetic waves, resulting in a depolarization
ratio of �1, while scatterers with large length-to-
width aspect ratios (such as chaff) will be highly
polarizing, with depolarization ratios approaching
0 dB. Meterological targets such as drizzle, dendrites,
plates, columns, and graupel will have depolarization
ratios in between these values. It should be noted that,
in practice, it is very difficult to generate or measure
electromagnetic waves with perfect circular or linear
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Figure 4 Ice-water and liquid-water content of clouds determined using a combination of radar-only and radar-radiometer retrieval
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depolarization, and the lower limit for depolarization
ratios is determined by the inability to perfectly isolate
the power leakage between different polarization
states generated by the radar. This lower limit is
referred to as the antenna cross-talk limit, or antenna
cancellation ratio (denoted as�1 inTable 1) andwill
vary as a function of the type of polarization chosen.
Therefore, in practice, it is optimum to choose
polarization states for which a maximum dynamic
range can be achieved since rather than �1, the true
lower threshold will be a system limited finite value.

Because certain ice crystal types have preferred fall
orientations, the polarization ratios observed by radar
for the same target type can also vary as a function of
the elevation angle at which the radar views the cloud.
For this reason, scanning dual-polarization radar
through a cloud can be a very powerful tool. Figure 5
shows 451 slantwise depolarization ratios as a function

of radar elevation. This figure clearly demonstrates the
utility of this radar polarization scheme for determin-
ing hydrometeor type.

Platforms

The comparatively low power requirements, small
antenna size requirements, and robust electronics of
millimeter-wave cloud radars enable the design of
systems that are suitable for deployment in portable
containers and on vehicles, aircraft, and ships. New
engineering designs have also resulted in unattended
systems that can operate continuously, and an increas-
ing number of such systems are collecting data around
the globe both in long-term atmospheric monitoring
programs and in short-term field experiments. Present
plans indicate that the first space-based cloud radar
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types are clearly distinguished by this method. (Courtesy of Roger Reinking.)

Table 1 Common radar polarization schemes

Target Linear depolarization

ratio (LDR) ½10 log ðZHV=ZHHÞ�
Differential reflectivity

(ZDR) ½10 log ðZHH=ZVVÞ�
Circular depolarization ratio

(CDR) ½10 log ðZLL=ZLRÞ�
451 Slantwise
depolarization ratio (SLDR)

½10 log ðZð135Þð45Þ=Zð45Þð45ÞÞ�

Cloud droplets �1dB 0dB �1dB �1dB

Ice crystals �1 to � 10dB 0 to 4 dB �1 to � 7 dB �1 to � 7 dB

Note: for each ZXY , Z is the power, X is the received polarization, and Y is the transmitted polarization, where H5horizontal linear,

V5 vertical linear, L5 left-hand circular, R5 right-hand circular, 1355 linear rotated 1351 from horizontal, 455and linear rotated 451
from horizontal.
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will be launched sometime between 2004 and 2010.
Such space-based cloud radars, together with
expanding surface networks of cloud radars, indicate
that these instruments will become an increasingly
routine and integral part of cloud research and cloud
monitoring.

Nomenclature

a; b coefficients of water content equation
A radar antenna diameter
D diameter of equal volume spherical particles
dB decibels
dBm decible log scale referenced to 1milliwatt
dBz decible log scale referenced to mm6/m3

IWC ice water content
LWC liquid water content
N particle concentrations
P received power
r distance between radar and target
RC radar constant
Ze radar reflectivity
y beam width
l wavelength
r ice particle bulk density
s particle cross section
LDR linear depolarization ratio
CDR circular depolarization ratio
SLDR slantwise 451 depolarization ratio
ZDR differential reflectivity

See also

Clouds: Measurement Techniques In Situ. Lidar: Back-
scatter; Doppler. Radar: Doppler Radar; Meteor Radar;
Precipitation Radar. Satellite Remote Sensing: Cloud
Properties; Precipitation.
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Introduction

The term ‘Doppler’ is in honor of the Austrian
physicist Christian Johann Doppler, who first ex-
plained the principle of the ‘Doppler effect’ in 1842.
TheDoppler effect is the increase or decrease (or shift)
in the pitch or frequency f of sound waves when a
source of waves is moving toward or away from the
listener. This is quite evident to an observer who is
listening to the blare of a train whistle or auto horn as

the source passes. The observer hears first a relatively
high-frequency pitch as the source of the sound waves
approaches, and then a marked drop in frequency as
the source recedes.

Light or radio waves can also have Doppler shifts,
for example when radiation is emitted from stars or
galaxies that recede from an observer. Spectral lines of
emitted radiation are Doppler shifted to lower fre-
quencies. For example, a blue spectral line seen by an
observer who is moving with the galaxy appears less
blue (i.e., the blue line is Doppler shifted toward the
red) to an observer moving away from the galaxy; this
is the so-called ‘red shift’.

In this article, we explain how the Doppler effect is
used by radars to measure the velocity of atmospheric
scatterers (e.g., precipitation, insects, refractive index
perturbations, etc.).
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The Doppler Shift of Scatterers

The atmosphere also has sources (e.g., hydrometeors
such as raindrops, snow, etc., and air molecules) of
radio waves that have Doppler shifts proportional to
the motion of air toward or away from an observer.
The intensity of this radiation, called thermal radia-
tion, is proportional to the temperature of the air.
Although these radio waves are detectable by high-
performance receivers (e.g., those used in weather
radars of the USA’s National Weather Service), the
emitted waves are relatively broadband (i.e., there are
no clearly defined spectral lines), and the Doppler
shifts are extremely small because of relatively low
speed of the air relative to the speed of light.Hence, the
Doppler shift of thermal radiation is not measurable.
But if the hydrometeors and air molecules are illumi-
nated with narrow-band radiation (i.e., a radio wave
at a single frequency or spectral line), like that from
Doppler radars, the scattered waves have a Doppler
shift that can be measured. Radiation incident on a
scatterer (e.g, a hydrometeor) forces electromagnetic
vibrations in the scatterer’s molecules. These vibra-
tions are in synchronism with the time changing
electromagnetic fields incident on the drop. If the drop
is at constant range r from the transmitter, the
vibrations will be at the transmitted frequency. If the
drop is moving toward the source of radiation (e.g.,
the radar), the internal vibrations will be faster
because the moving molecules experience more rapid
fluctuations of the incident waves.

Doppler radars typically transmit radiation in
bursts of short duration (e.g., 10� 6 seconds or 1 ms).
These radars are usually called pulsed-Doppler radars
to distinguish them from those that emit continuous
waves, such as those used by the police to detect
speeding autos. Radiation is transmitted in pulses to
measure the scatterer’s range using the same antenna
to both transmit the radiation and receive its echoes.
For example, the network of weather radars in the
USA (Table 1) emit microsecond-duration pulses
of microwaves in the band from 2.7�109 to
3.0�109Hz. The exact frequency of the radiation
from a radar depends on the availability of spectrum
space at the radar site. Frequencies are chosen so that
the radar operation is mutually noninterfering with
other users of radio waves at nearby frequencies.
Atmospheric radars, those used in research to study
the atmosphere, operate at frequencies as low as
2�106Hz, and as high as 9.4� 1010Hz.

The measurement of the Doppler shift in a single
backscattered pulse ofmicrowaves (i.e., an echo) is not
practical. Instead, what is measured is the backscat-
tered wave’s angular phase; this is proportional to the
scatterer’s (e.g., a raindrop’s) range. The angular phase

equals twice the number of wave cycles (and portions
thereof) between the radar and the scatterer. In
principle, it measures quite precisely the distance to
the scatterer, but there is ambiguity because the phase
can be determined only within one cycle, or 2p
radians. Nevertheless, the change of the backscatter
phase, from pulse to pulse, is a measure of the change
in range to the scatterer, as well as the Doppler shift, as
is shown in the following section.

Fundamentals of Pulsed-Doppler
Radar

The basic principles for pulsed-Doppler weather
radars are the same as for any radar which transmits
a periodic train of pulsed radiation. In weather radars
these pulses are typically spaced on the order of a
millisecond apart. For example, the WSR-88D’s
microwave oscillator (Figure 1; the STALO, an acro-
nym for ‘stabilized local oscillator’) generates a very
pure continuous microwave sinusoid at a frequency f
which is converted to a sequence of microwave
pulses by the modulator. The frequency f is called
the carrier frequency because it carries themodulation
pulse.

The microwave pulses, of duration t and spaced Ts

apart, are then intensified by a high-power amplifier

Table 1 WSR-88D specifications

Antenna system

Parabolic reflector diameter 8.54m

Gain 44.5 dB

Beam width, y1 11
First sidelobe level o� 26dB below main lobe

Scan rates 301 s�1 (azimuth and

elevation)

Mechanical limits � 11 to1601 in elevation

Wave polarization Linear, horizontal

Transmitter

Frequency, f 2700 to 3000MHz

Peak pulse power, Pt 475 kW

Pulse widths, t 1.57 and 4.57ms
Pulse repetition times, Ts

short pulse (8 selectable) 0.77 to 3.13ms

long pulse 2.22 and 3.13ms

Receiver

Dynamic range 93dB

Intermediate frequency 57.6MHz

System noise power N 10� 14.3W

6dB bandwidth B6 0.8MHz

Performance

A reflectivity factora of � 7.5 dBZ at 50 km must produce a signal-

to-noise ratio ðS=NÞ � 1 (e.g., a 6.3mm diameter drop at 20 km

must produce an echo power ¼ N ¼ 10�14:3 WÞ.
aFor a definition of the reflectivity factor, (see Radar: Precipitation

Radar).
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(e.g., a klystron) to produce about 106 watts of peak
pulse power Pt. The average power Pav ¼ ðt=TsÞPt,
however, is usually less thanakilowatt, about the same
as that used in microwave ovens. The pulse of
microwaves of spatial length ct is in a beam, directed
at azimuth and elevation angles j0 and ye ¼ p=2� y0
respectively, of width y1 (the width at the half power
or 3 dB points) typically of the order of one degree
(Figure 1). A significant fraction (about 40%) of the
radiation is transmitted in angular directions outside
the 3 dB beamwidth y1, but only about 2% is trans-
mitted in the sidelobes. The waves in each pulse are
coherent or synchronous with those generated by the
oscillator; that is, the crests and valleys of the waves in
the pulse bear a fixed or known relation between the
crests and valleys of the waves in the oscillator. The
transmit/receive (T/R) switch connects the transmitter
to the antenna during t, and the receiver is connected
to the antenna during the interval Ts � t.

The echo of pulsed microwaves from a scatterer is
divided into two and combined (or mixed) in a pair of
synchronous detectors (Figure 1) with a pair of signals
from the STALO. A pair of synchronous detectors are
required to resolve the magnitude and sign of the
Doppler shift. Because the pair of signals is synchro-
nous with the transmitted radiation and is mixed with
its echoes, the detection is called synchronous. One of
the pair of signals is a sinusoid, while the other is a
cosinusoid (i.e., phase-shifted by 901 from the sinusoid
signal). It is difficult tomakemeasurements directly on
the microwave signal, so most receivers shift the
carrier frequency to zero, as is done by the homodyne
receiver shown in Figure 1, and the Doppler shifts are

then referenced to zero. The pair of synchronous
detectors and the filter amplifiers shift the carrier
frequency from themicrowave band to zero frequency
and filter unwanted harmonics. In heterodyne receiv-
ers, those in common use, the translation of the carrier
frequency to zero is accomplished in two steps to
improve performance. First, there is a shift to an
intermediate frequency, usually at tens of megahertz
(e.g., Table 1), and then that frequency is shifted to
zero.

We now will show how the Doppler shift is related
to the radial velocity component of the scatterer.At the
input to the synchronous detectors the complex (i.e., a
complex variable has a real and imaginary compo-
nent) echo voltage Vðr; tÞ,

Vðr; tÞ ¼A exp j 2pf t � 2r

c

� �
þ c

� �� �
U

t � 2r

c

� �

¼A cos 2pft � 4pr
l

þ c
� ��

þ j sin 2pft � 4pir

l
þ c

� ��
U t � 2r

c

� �
½1�

is a replica of the transmitted pulse. The sine and
cosine terms are the real and imaginary components of
the complex voltagewhich oscillates at themicrowave
frequency f. A, the echo amplitude, depends on the
transmitter power, and the scatterer’s range r and its
backscatter cross section, j ¼ ffiffiffiffiffiffiffi�1

p
, 2pf ðt � 2r=cÞ þ c

is the echo phase, t is time after the emission of the
transmitted pulse, and c is the sum of phase shifts
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Figure 1 Simplified block diagram of a pulsed-Doppler radar.
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within the radar and the scatterer. The function U
locates the echo; it is 1 when its argument ðt � 2r=cÞ is
between 0 and t, and zero otherwise. The first
equation is an exponential form and a compact way
of expressing the echo’s amplitude and phase.

The real and imaginary parts of the complex
voltage, after the carrier frequency is shifted to zero,
are called the in-phase I and quadrature-phase Q
voltages. The output of one of the synchronous
detectors and filter-amplifiers in Figure 1 is Iðr; tÞ,
whereas the other output is Qðr; tÞ. Thus, by setting
f ¼ 0 in eqn [1], we obtain directly

Iðr; tÞ ¼ A cos ceU t � 2r

c

� �

Qðr; tÞ ¼ A sinceU
t � 2r

c

� �
½2�

where

ce ¼ � 4pr
l

þ c ½3�

is the echo phase after the carrier frequency is shifted
to zero. The echo voltage can be represented as a
vector on the Argand diagram (e.g., Figure 2B), with I
and Q as the x- and y-axes. The carrier-shifted vector
I; Q has the amplitude A and the phase ce (positive
when measured counterclockwise from the I axis).
Before the carrier frequency is shifted to zero, the echo
vector rotates about the origin at the rate f plus any
Doppler shift fd; after the carrier frequency is shifted to
zero, the vector I, Q rotates about the origin at the
Doppler frequency, fd.

The time rate of change (in radians/second) of ce is

dce

dt
¼ � 4p

l
dr

dt
¼ � 4p

l
vr ¼ 2pfd ½4a�

Therefore,

fd ¼ �2
vr
l

½4b�

relates Doppler velocity vr (i.e., the radial component
of the scatterer’s velocity) to the Doppler frequency or
shift. The change in ce, from one transmitted pulse to
the next, measures the change in the scatterer’s range.

For typical pulse widths t (i.e., 10�6 s), and hydro-
meteor velocities (tens of m s�1), the phase changes
are extremely small during the time thatUðt � 2r=cÞ is
nonzero. Therefore, the echo phase change is meas-
ured over the longer period Ts � 10�3 s between
transmitted pulses. As a consequence, the pulsed-
Doppler radar is a phase and amplitude sampling
system. That is, if the radar transmitted continuous
waves thenA andce would be continuous functions of

time. But because radiation is transmitted in pulses
spaced Ts apart, we only have samples of A and ce at
Ts intervals.

For a single scatterer, the ‘sample’ occurs at the time
the echo arrives at the receiver. Thus, the echo samples
are at ts þmTs, where tsð0 � ts � Ts), the range time,
is the time difference between a transmitted pulse and
an echo, m is an integer, and mTs is called the sample
time which increments in Ts steps.

The I and Q components of echo voltage from a
10 cm wavelength radar illuminating stationary and
moving scatterers are shown in Figure 2A for three
successive (i.e., m ¼ 1, 2, and 3) transmitted pulses
spacedTs ¼ 768�10�6 s. The echoes from themoving
scatterer clearly exhibit a systematic change, from one
mTs period to the next, caused by the scatterer’s
velocity which causes a change in range r and, thus, a
change in ce. Although the shift of the pulse along the
range time ts axis in Figure 2A is not readily seen, the
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Figure 2 (A) IðtsÞ and QðtsÞ signals for three successive

intervals, Ts, superimposed to show the signals’ relative change

for moving and stationary scatterers. (B) An Argand diagram of the

three I; Q samples in (A) at the three mTs times for the moving

scatterer.
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amplitude of the I andQ components can change from
a positive maximum to a negative maximum if the
scatterer moves l=4 in Ts. Under this same condition,
the echo’s arrival time ts changes by less than 10� 10

seconds, a shift too small to be detected in Figure 2A.
Note that echoes from the stationary scatterers do not
exhibit any change in I or Q.

Let’s now calculate fd and vr from the I and Q
changes seen in Figure 2A. The moving scatterer’s
three I; Q samples, spaced Ts apart, are sketched on
the Argand diagram in Figure 2B.We see that the echo
vector samples rotate ccw about the origin, and by
convention this corresponds to a positive Doppler
shift. Because the echo phase change Dce is about 301
during Ts,

fdðHzÞ ¼ 30�� 1 cycle

360�
� 1

Ts

computes to be1109Hz. Using eqn [4b], vr computes
to be � 5.45m s� 1.

Range and Velocity Ambiguities

Range Ambiguities

If the radar transmits a uniform periodic sequence of
pulses, it is not possible to determine which transmit-
ted pulse produced which echo (Figure 3). That is,
since ts is measured with respect to the most recent
transmitted pulse and has values less than Ts, the
apparent range cts=2 is always less than the unambig-
uous range ra ¼ cTs=2. But the true range, r, can be

cts
2

þ ðNt � 1Þra

whereNt is the trip number, andNt � 1 designates the
number of cTs=2 intervals which needs to be added to
the apparent range to obtain r. Thus the apparent
range to a scatterer is ambiguous if r � ra.

Velocity Ambiguities

A periodic transmitted pulse sequence also introduces
velocity ambiguities. A set of ce samples cannot be
related to one uniqueDoppler shift. AsFigure 4 shows,
it is not possible to determinewhether the echo voltage
Vðt þ TsÞ, at time t þ Ts, arrived at its angular
position by rotating clockwise or counterclockwise
from its position at t (i.e., whether the Doppler shift is
positive or negative), nor to determine how many
times it might have circled the origin during the
interval Ts. Any of the Doppler frequencies
Dce=2pTs þ n=Ts, where n is a positive or negative
integer, and �poDce � p, could be correct. All such
Doppler frequencies are called aliases. In calculating
the Doppler frequency, it is usually assumed that Dce

lies in the interval�p. Thus theDoppler frequency lies
in the interval � fN ¼ �ð2TsÞ�1, where fN is the
Nyquist frequency. Doppler frequencies between
� fN are the principal aliases, and frequencies higher
or lower than� fN are ambiguous with those between
� fN. Using eqn [4b], � fN corresponds to a velocity
interval �va ¼ l=4Ts, the unambiguous velocity in-
terval. Thus, the scatterer’s radial velocity must lie
within the unambiguous velocity limits, va ¼ �l=4Ts,
to avoid ambiguity. Signal design and processing
methods have been advanced to mitigate the problem
of range and velocity ambiguities, but so far there is no
known solution to the problem.

The Atmospheric Doppler Radar

Radars used to observe the atmosphere are funda-
mentally the same as radars used to remotely detect
aircraft, ships, missiles, planets, etc. Whereas most
radars have a countable number of objects (i.e.,
aircraft, autos, etc.) that need to be detected and
characterized (e.g., to determine the size and speed of
the objects), atmospheric radars need to detect and
characterize countless numbers of scatterers (e.g.,

Transmitter pulses

n − 1 n + 1n

Ts
�s2

�s2 + Ts

�s1

Figure 3 Depiction of range-ambiguous echoes. The nth transmitted pulse and its echoes are hatched. The larger echo at delay ts1 is
unambiguous in range, but the unhatched smaller echo, at delay ts2, is ambiguous. This second trip ðNt ¼ 2Þ echo,which has a true range
time delay Ts þ ts2, is due to the ðn � 1Þth transmitted pulse.
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hydrometeors such as raindrops, hailstones, etc.,
electrons in the Earth’s ionosphere, and refractive
index perturbations) which can be distributed over
vast volumes of the atmosphere. The echo power from
each atmospheric scatterer is very weak. For example,
a 1mm raindrop at a range of 100 km from a weather
radar typically returns a power less than 10� 22W.
Although each scatterer’s echo is very weak and
usually not detectable, the sum of echo powers from
an extremely large number of scatterers within the
radar’s beam can return a strong continuum of echoes
as the transmitted pulse propagates through the field
of scatterers, be it raindrops, electrons, or refractive
index perturbations. Refractive index perturbations
are caused by minute temperature and humidity
variations in space and time.

Doppler weather radars are used to estimate and
map the hydrometeor’s fields of reflectivity (propor-

tional to the number density and size of the hydro-
meteors) and the reflectivity-weighted mean radial
velocity; from these two fields, radar meteorologists
attempt to derive the fall rate and accumulation of
precipitation, and to resolve storm hazards. Doppler
radars that detect scatter from refractive index
perturbations also are used to map the atmosphere’s
wind field. Large antennas (e.g., 100� 100m2), long
wavelengths (i.e., 	1mÞ, and high average power
(e.g., a few tens of kilowatts) are required to detect
echoes from the weak-refractive-index perturbations
in the upper atmosphere. These powerful radars are
called MST radars because they can measure the wind
in the mesosphere, the stratosphere, and the tropo-
sphere.

Dopplerweather radars owe their acceptance by the
weather services to the fact that centimetric waves
(i.e., those having wavelengths of the order of centi-
meters) can penetrate extensive fields of precipitation
(e.g., hurricanes) to map and reveal, like an X-ray
photograph, the morphology of weather systems.
Optical and infrared waves do not penetrate very far
into clouds and precipitation.

After a delay (the round trip time of propagation
between the radar and the near boundary of the
volume of scatterers), echoes are continuously re-
ceived (Figure 5) during a time interval equal to twice
the time it takes the microwave pulse to propagate
across the volume of scatterers. Because one cannot
resolve the echo from each scatterer, the radar’s data
processors use gating circuits to sample the I; Q
voltages at uniformly spaced intervals along ts and
convert the analog values of the I; Q voltages to digital
numbers.

For each sample, there is a resolution volume V6, at
range cts=2, which is enclosed by the surface onwhich
the angular and range weighting functions are 6 dB

∆�e

V (t +Ts)

Q

I

V (t )

�e(t )

Figure 4 Argand diagram to depict frequency aliasing. Frequen-

cy aliases are: Dce=2pTs þ n=Ts (cycles per second (Hz)

ðn ¼ 0; �1; �2; . . .Þ.
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Range time
�s
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e

Figure 5 Idealized traces for IðmTs; tsÞ of weather echoes from a distribution of scatterers. A trace represents IðmTs; tsÞ for themth Ts

interval.
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below their peak value; this corresponds to an angular
width equal to the beamwidth y1, and, for receiver
bandwidth (Table 1) B6>ðtÞ�1, a range weighting
width about equal to ct=2. The scatterers within V6

are those that contribute significantly to the sampled
voltage at delay ts; those outside this volume usually
make negligible contributions. Atmospheric radars
have several hundred gates to obtain samples of echoes
fromseveral hundred volumes along the beam.Figure 6
shows an example of the range locations for 16
resolution volumes at which the I; Q samples are
recorded. The gates for this particular example were
spaced 4�10� 6 s apart corresponding to a 600m
range separation of the resolution volumes.

Echoes from the myriad of scatterers constructively
or destructively (depending on the echo phase) inter-
fere with each other to produce the composite signal
voltage

VðmTs; tsÞ ¼ IðmTs; tsÞ þ jQðmTs; tsÞ ½6�

for themthTs interval. The random size and locationof
scatterers cause the I and Q signals to be a random
function of ts. Thus VðmTs; tsÞ has noise-like fluctua-
tions along ts even if the density of scatterers (propor-

tional to the scatter cross section per unit volume, i.e.,
the reflectivity) is spatially uniform. But this noise-like
signal has a correlation time, tc (Figure 5), dependent
on t and B6. If B6 >t ; then tc � t, the pulse width.

The sequence of M samples at any fixed ts is
analyzed to determine the motion and reflectivity of
scatterers in the correspondingV6. The dashed lines in
Figure 5depict possible sample time,mTs, dependence
of I at the range time delays ts1 and ts2. The rate of
change of I andQ vsmTs depends on the radialmotion
of the scatterers. Because of turbulence, scatterers
move relative to one another, and even if their mean
motion is zero, they still produce a random signal vs
mTs. But this random signal has a correlation time st
along mTs dependent on the differential speed of the
scatterers. It can be shown that st ¼ l=ð4psvÞ where
sv is the Doppler spectrumwidth, to be discussed later
in this section, a parameter proportional to the spread
of radial velocities within V6. If there is mean motion,
with negligible turbulence, then the signal vs.mTs will
be samples of a sinusoid. But if turbulence is so strong
that the displacement of scatterers relative to one
another during Ts is a significant fraction of l, the
signal samples, alongmTs,would be uncorrelated, and
Doppler measurements are not possible.

The random fluctuations of the I; Q samples have a
Gaussian-shaped amplitude distribution with zero
mean (Figure 7). Each point in Figure 7 is the location
of an I; Q sample at a fixed ts (i.e., for echoes from a
single V6), but for a sequence of sample times mTs. If
the turbulence is weak and scatterers have a mean
velocity then the sequence of I; Q points will follow a
relatively smooth circular path centered on the origin.
If turbulence is stronger then the changes of I; Q will
follow a more zigzag path, as shown in Figure 7; if
turbulence is sufficiently strong, then the path will be
entirely random (i.e., the samples are uncorrelated).
Tomeasure velocity, the samples need to be correlated.
It is the function of the atmospheric radar’s signal
processors to accurately estimate, from an analysis of

9.6 km 600 m

16 range gates;
beam width 3°;
pulse depth 150 m

Absorbing
enclosure

10 cm
Doppler

radar

Slow antenna
fast antenna

time code

Analog
recording

Digital
processing

and recording

LOG video

I, Q, time ref.

Figure6 Depiction of 16 resolution volumesV6 corresponding to

16 ts locations. The I; Q samples from these 16V6 are given in

Figure 8.

Prob. (I )

Prob. (Q)

Q

I

Random processes
In and Qn are

correlated

Uncorrelated
random variables

(Gaussian distribution)

Figure 7 Argand diagram depicting the sequence of I; Q

samples from a Doppler radar observing atmospheric scatterers.
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the VðmTs; tsÞ sample sequence along mTs, the
average sample power and the power-weighted mean
Doppler velocity of the scatterers.

Figure 8 presents an actual recording of the I or Q
(both I and Q have similar appearance) samples as a
function of mTs for echoes from the 16 resolution
volumes depicted in Figure 6 when they were in a
thunderstorm. In each 50ms of MTs (the abscissa in
Figure 8), there are 65 samples (i.e., 50ms divided by
Ts). Thus, the data points are very closely spaced, and
the traces appear continuous. Zero amplitude for each
trace is a horizontal line (not shown for clarity) at the
gate number location, and the variation of the trace
about this line is proportional to the signal I. For
example, the trace for gate no. 12 is the amplitude of
the echoes coming from resolution volume no. 12,
which is about 12� 600m5 7.2 km above the ground
(Figure 6). The trace at gate no. 1 shows very little
variation and is likely caused by echoes like those
shown in Figure 2A from stationary scatterers.

Figure 8 shows relatively fast signal fluctuations in
gates 2 to 7, representing the Doppler frequency
produced by fast-falling hydrometeors. The high-

frequency Doppler shift seen from the samples at
gate no. 12 forMTs between 350 and 500ms is caused
by echoes from ionized air in the lightning channels
which move with the velocity of the air and, hence,
produce a Doppler shift different than that of the
hydrometeors which fall through air.

The discrete Fourier transform is applied to a finite
number of samplesM (typically an integer power of 2)
to derive the Doppler or power spectrum. The spec-
trum gives echo power as a function of Doppler
velocity. For example, Figure 9 is the Doppler
spectrum for echo samples from gate no. 12. This
128-point spectrum (128 being the number of spectral
coefficients) is an average of 12 spectra. Thus M ¼
1536 samples of I and Q are used. Because
Ts ¼ 0:75ms, this spectrum is from data collected
during a 1.5 s interval. Referring to Figure 8, we see
that the spectrum is derived from samples that span the
entire trace at gate no. 12, and thusmoreweather than
lightning echoes are sampled. This is why the spectral
peak of the lightning echo is much weaker than the
spectral peak associated with the hydrometeors,
although during the short interval (approximately
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200ms) the lightning echoes were stronger. Thus the
echoes in this 1.15 s time interval are from hydrome-
teors as well as the lightning channel.

Hydrometeors with mean vertical speeds equal to
zero in Figure 9 return echoes with the largest power.
These hydrometeors are likely located at the center
of the resolution volume. There is a relatively large
spread of Doppler velocities (i.e., from about � 15 to
115m s� 1) about zero. Much of this spread is due to
turbulence, as well as the differential fall velocities of
the hydrometeors associated with the different sizes of
hydrometeors; the larger precipitation particles fall
faster.

The weaker spectral peak with a velocity of about
110m s� 1 is caused by echoes from the lightning
channelwhich presumably ismovingwith the updraft.
A few seconds later, this secondary spectral peak
vanished, leaving only the spectrum (not shown here)
due to the hydrometeors. Further support that a
lightning event occurred at this time was obtained
from auxiliary equipment (i.e., the slow and fast
antennas in Figure 6) tuned to sense and record the
radio emissions from lightning. For example, the crack
of noise heard on the radio during thunderstorms is
caused by radio emissions from lightning.

Data from which the power spectrum can be
computed are not typically recorded by weather
radars; rather, the echoes are processed to derive the
first three spectral moments. The zerothmoment is the
area under the power spectrum and is proportional to
the echo power from a particularV6, which, in turn, is
proportional to the reflectivity in that volume.The first
moment is the integral of the product of the Doppler
velocities multiplied by the normalized power spec-
trum; roughly, this is at or near the major peak of the

power spectrum (in Figure 9 about 0m s� 1). The first
moment is called themeanDoppler velocity and is, for
short, designated simply as the Doppler velocity. The
square root of the second moment of the Doppler
spectrum is the spectrum width, sv, which is propor-
tional to the spread of the scatterer’s radial velocities
withinV6; thus, it is ameasure of turbulence and shear.
These three moments at each V6 along the beam, and
as a function of beam direction, are displayed on color
monitors.Radar calibration is required to compute the
reflectivity from the echo power in each V6.

An example of the Doppler velocity field as a
function of range and azimuth (commonly referred to
as a plan position indicator (PPI) display) is shown in
Figure 10. The lower figure, obtained when the
elevation angle was fixed at 0.11, shows convergence
of air; the bright-red region (the color bar to the right
of the image relates Doppler velocity, in m s� 1, to
color) was associated with air moving away from the
radar (i.e., positive Doppler velocities), whereas the
bright green region at a slightly larger range, but at
nearly the same azimuth, was associated with air
moving toward the radar. Thus, the converging airwas
centered at a range of about 35 km andwas north-east
of the radar.

The data in the upper figure are from the same
storm, but 3minutes later when the beam’s elevation
angle was fixed at 4.01. The bright-red and green
regions are again air moving away and toward the
radar, respectively, but now these regions are azimuth-
ally displaced fromone another; this is the signature of
amesocyclonic circulation. The airmoving toward the
radar is at smaller azimuth angles and, thus, the
circulation is counter clockwise. The separation of the
peak Doppler winds in the circulation is about 4 km;
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Figure 9 The Doppler or power spectrum for data from gate no. 12 in Figure 8. The ordinate is power relative to the peak on a decibel

scale; the abscissa is the Doppler shift in ms� 1.

1810 RADAR / Doppler Radar



this is the diameter of the mesocyclone having peak
tangential winds of about 30m s� 1. Thismesocyclone
also contained a small tornado, whose Doppler
signature is seen in the lower figure where azimuthal
shear is largest (i.e., at a range of 32.5 km and azimuth
of about 571). Such displays of Doppler velocity fields
byDopplerweather radars are used towarn citizens of
the potential hazards of winds. Further examples of
weather radar images can be found at the website
under ‘Further Reading’.

Nomenclature

A echo amplitude
B6 receiver bandwidth

c speed of light
f carrier frequency
fd Doppler frequency
Iðr; tÞ in-phase echo voltage
j

ffiffiffiffiffiffiffi�1
p

, Imaginary unit
m integer index
Nt trip number, an integer index
Pav average power transmitted
Pt peak power transmitted
Qðr; tÞ Quadrature-phase echo voltage
r range
ra unambiguous range
t time
Ts pulse repetition time (sampling time)
UðxÞ U ¼ 1 if 0oxot; otherwise U ¼ 0
vr radial (range) velocity

Figure 10 The Doppler velocity field of a tornadic storm. The color scale indicates the Doppler velocity in ms� 1, and the white arcs are

20 km apart. The elevation angles are at 0.11 (lower panel) and 4.01 (upper panel).
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Vðr; tÞ echo voltage
V6 resolution volume
y1 one-way beamwidth
l wavelength
st correlation time along MTs

t pulse width
tc correlation time along ts
ts range time
c time independent phase shift
ce echo phase

See also

Lidar: Doppler. Lightning: Overview. Radar: Cloud Ra-
dar; Incoherent Scatter Radar; MST and ST Radars and
Wind Profilers; Meteor Radar; Precipitation Radar;
Synthetic Aperture Radar (Land Surface Applications).
Tornados.
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Incoherent Scatter Radar
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Introduction

The incoherent scatter radar (ISR) technique is a
powerful ground-based tool used to measure various
properties of the ionized part of the upper atmosphere
called the ionosphere. All radars transmit radio waves
at a target and receive much weaker waves generated
when electrons, the lightest charged component of the
target matter, accelerate in response to the incident
waves and re-radiate the signal. Reflection and scatter
are terms used to describe the re-radiation, depending
upon the degree and nature of the organization of the
electrons in the target. Incoherent scatter returns come
from free electrons in the ionospheric gas, or plasma,
usually with a strong influence from the ions. ISRs can
be used to measure electron and ion temperatures and
velocities, and the number densities of the electrons
and the various ions. ISR has remained a useful
technique for ionospheric studies during the last 40
years because a complete, accurate, and elegant theory
describes the spectrum of the scattered signal, and
because inexpensive and easily implemented digital
signal processing makes the use of new radar tech-
niques practical and allows new and better data
analysis methods. Data analysis consists of comparing
measured spectra with model spectra, adjusting the

model parameters for a good match using nonlinear
least-squares fitting. The primary task of ISRs is the
global study of the effects of energy inputs into the
ionosphere and upper atmosphere, that is, solar
radiation and particles entering along the Earth’s
magnetic field lines from above, and energy, often in
the form of waves, from the denser atmosphere below.
ISRs verify many aspects of the behavior of the
ionospheric plasma, including plasma instabilities
generated naturally and artificially. ISRs also make
measurements in the middle atmosphere, and can
function as MST (mesosphere–stratosphere–thermo-
sphere) radars in the lower atmosphere.

The required hardware is large: one or more
antennas, 30 to 300m in diameter, and a powerful
transmitter, 1MW or more, capable of transmitting
for several percent of the time. Most radars are
monostatic, using the same antennas for transmission
and reception. Each ISR is the result of different
compromises in design, trading away the less needed
characteristics in order to lower the cost. The Arecibo
radar (18.31N, 293.21E) obtains a very high sensitiv-
ity at 430MHz by using a fixed spherical dish 305m in
diameter constructed in a sinkhole in Puerto Rico.
Energy focuses to a line rather than a point as with a
parabolic antenna, and the original design used a long
linefeed antenna. Today a Gregorian feed with sec-
ondary and tertiary reflectors is used to correct the
spherical aberration. With such a large antenna the
feed is moved rather than the dish, with zenith angles
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of 201 attainable at Arecibo. The Jicamarca observa-
tory in Peru (�12.01N, 283.11E) uses a large array of
dipoles operating at 50MHz to obtain a similar
sensitivity. It has a limited range of pointing angles
nearly perpendicular to the magnetic field and is used
to study the electrodynamics and other features of the
ionosphere at the magnetic equator.

Radars requiring full sky coverage use movable
parabolic dishes, and accept lower sensitivity as a
result of the smaller antenna. The Millstone Hill
facility in Massachusetts, USA (42.61E, 288.51N)
operates at 440MHz and has two parabolic dishes,
one fixed in the vertical direction (68m) and the other
(46m) rapidly steerable over most of the sky. The
Sondrestrom facility in Greenland (67.01N, 309.01E)
operates at about 1100MHz and also uses a steerable
parabolic dish (32m). This radar has moved from the
Stanford Campus to Alaska and then to Greenland in
response to the needs of the scientific community.
These four radars form a longitudinal chain operated
under the CEDAR (Coupling, Energetics, and
Dynamics of Atmospheric Regions) program of the
US National Science Foundation (NSF).

The EISCAT (European Incoherent Scatter) Associ-
ation, a consortium of six European countries and
Japan, operates the newest facilities. These are a
931MHz radar with transmitting and receiving facil-
ities in Troms�, Norway (69.61N, 19.21E) and
receiving sites in Kiruna, Sweden, and Sodankylä,
Finland, a so-called tristatic system. The Troms�
site also has a monostatic 224MHz system using a

cylindrical paraboloidal antenna with mechanical
steering in one plane and electrical pointing by means
of phasing in the other plane. The newest EISCAT
radar is located in the Svalbard archipelago on
the island of Spitzbergen (781N, 201E) and has two
parabolic dishes. The Institute of Ionosphere in
Kharkov, Ukraine, operates a facility at 150MHz
with a 100m fixed vertical dish and a 25m steerable
dish. The Institute of Solar-Terrestial Physics operates
a radar near Irkutsk (531N, 1031E) in Russia (Siberia)
which steers by changing the frequency between 154
and 162MHz. The EISCAT,NSF, and Kharkov radars
frequently operate together on ‘World Days’ that
allow global studies of the ionosphere and space
weather events. Originally designed for middle-
atmospheric studies, the MU radar near Shiginaka,
Japan, has regularly been used in the ISR mode in
recent years.

Elementary Description: Operation
and Scattering Mechanism

Figure 1 shows the range–time diagram for an inco-
herent scatter radar spectral measurement in which
the radar emits a pulse of length T that illuminates the
electrons at range h0 during a time interval T0, and at
h1 during a later time interval T1. The overlap of these
time intervals is not a problem when the requirements
for range resolution are modest.
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Figure 1 (A) A range–time diagram in which a pulse of length T is transmitted, illuminating electrons at range h0 for time interval T0 and

range h1 for time interval t1. The substantial overlap in time might or might not be a problem. (B) The electrons at h1 have apparently

random locations and velocities. The radar is sensitive to the component along the line of sight (z axis). (C) The Maxwellian probability

density function associatedwith the speed of the electrons and theGaussian function associatedwith the line of sight component. (D) The

signal at time ts is the sumof that frommany electronswith randomphase. The radar analyzes the rectangular projections of the sum.Part

(A) also shows two short pulses p0 and p1. The signal at each time is the sum of narrow ranges resulting from both pulses.

RADAR / Incoherent Scatter Radar 1813



Nearly all of the power passes through the iono-
sphere, but a small amount scatters from the electrons.
Consider N electrons in a small range increment
around h1. They move with speeds distributed ac-
cording to aMaxwellian distribution and with appar-
ently random directions. The received radar signal is
the sum of the very small signals scattered from all the
individual electrons, and consideration of the phase
path length for each electron from the transmitting
antenna and back to the receiving antenna gives
eqn [1] for the return signal.

SðtÞ ¼
XN�1

i¼0

a eiðo0t�kriðtÞÞ ½1�

S is the summed signal; a comes from the radar
equation anddepends on such factors as the power and
antenna gain of the radar, the distance to the electrons,
and possibly the polarization of the waves; o0 is the
angular frequency of the radar, k ¼ 4p=l is the
scattering radar wavenumber for backscatter for a
radar wavelength l; and ri is the line of sight distance
from the radar to the ith electron. The receiver
circuitry removes the rotation of the signal at the
rateo0 so that the time variation in the signal is due to
themotionof the electrons. It is apparent that eqn [1] is
the spatial Fourier transform of the scatteringmedium
along the line of sight, providing a convenient
abstraction from the actual charge distribution. If
there is only one electron with constant velocity along
the radar line of sight, then the change in the phase of
the received signal is uniform in time, and S is a
sinusoid like the transmitted signal, but Doppler-
shifted to a new frequency.

If the electron velocities are uncorrelated, the phase
angles in the sum are random, and the time-averaged
power from the volume is justN times the power from
a single electron, a quantity easily computed from
elementary electromagnetism. The cross-section of
a single electron is given by 4pr2e, where re ¼
2:8�10�15 m is the classical electron radius, and so
an electron looks like a target of 9.85� 10�29m. If
one illuminates a cube 20 kmon a side that contains an
electron number density 1� 1012m� 3, the total cross
section is 7.9� 10� 4m2, equivalent to a sphere with a
radius of 1.6 cm. Also the received radar signal is a
noiselike process, and so the information about the
medium is contained in the average properties of the
process, the average total power, and the distribution
of this power in frequency. If each electronmoves with
constant velocity during the time it is illuminated by
the radar signal, then the spectrum is the bell-shaped
Gaussian function. This follows from theMaxwellian
distribution of electron speeds determined by Te, the
electron temperature, andme, themass of the electron,

because the velocity distribution of electrons deter-
mines the distribution of power at the corresponding
Doppler shift. Actually, the electrical interaction
between the ions and the electrons narrows the
spectrum and determines the pulse length T required
for adequate frequency resolution. Nevertheless, the
Gaussian electron spectrum, as well as similar ones
associatedwith the ions, are important in the complete
analysis.

Measurement Techniques

Techniques for improving the resolution use short
pulses or a modulated pulse, often with a constant
transmitted amplitude, but a binary phase pattern (01
and 1801). The goal is to obtain statistical estimates of
the spectrumas a function of range that are as accurate
as possible and have sufficient range resolution. The
signal power must be large and the receiver and sky
noise small, and the number of independent samples
from the noiselike signal must be large so that
measurements of its average properties are accurate.
In addition to the use of amodulated pulse, sometimes
transmissions occur on different frequencies at differ-
ent times during the pulse, or even on several
frequencies at once.

If the range resolution obtained using a pulse length
of T, set by frequency resolution requirements, is not
good enough, one solution is to use sequences of two
or more short pulses, but then the average transmitted
power decreases. It is also possible to use modulated
long pulses, explained here using a simple analogy. If
only the total power andnot the spectrum is of interest,
then obtaining the performance of a short pulse from a
properly modulated long pulse by decoding the signal
is easy, and a very similar method allows decoding of
the set of lag profiles used in computing the spectral
estimates. A lag profile is the product of the signal and
a delayed version of the complex conjugate of the
signal, while the set comprises lag profiles of all useful
delays. This section analyzes pulse compression of the
signal, the double (short) pulse technique, and the use
of pulse compression on lag profiles to measure the
spectrum with good range resolution.

A rectangular radar pulse of lengthT andunity peak
power has the same total energy as one of length T=M
and powerM. The power spectrumof the shorter pulse
contains a lot more energy in the higher frequencies.
For the long pulse to give the same resolution as the
short one it must have the same energy at the higher
frequencies and a practical, but approximate, method
to produce this is to use phase modulation, such as the
Barker code (Figure 2). Then the major difference
between the two pulses is the relative phases of the
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sinusoidal components of their spectra. Changing the
phase of the spectrum of the signal corresponds to a
linear filtering operation in the time domain, and we
can convert the long pulse to a short pulse, or ‘decode’
it in this way. The received signal before decoding
consists of copies of the code, one for each target,
shifted by the range to the target and added. The
addition of the target signals is linear, and so we can
decode in the receiver after the target signals add,
obtaining the same results as operating on each signal
individually. The result is almost like using a short
pulse of high peak power, as the simulation in the
right-hand part of Figure 2 shows. It used matched
filter decoding, which has the best signal to noise ratio,
but it also has small false echoes, or sidelobes, at a level
of about 1% of the main echo or lobe.

The target must remain close to stationary while
illuminated by the coded pulse if the decoding is to
occur accurately. For lower-atmosphere radars where
the spectrum of the scatter is very narrow, decoding
can extend over multiple pulses, allowing the
use of complementary codes that have canceling
sidelobes. In the ionosphere the spectrum widens as
the temperature rises and lighter ions dominate. In the
topside of the ionosphere, pulse compression is less
practical.

The power spectrum of a random process such as
ionospheric radar signals contains the same informa-
tion as its Fourier transform, the autocorrelation
function (ACF). The ACF is the sum of lag products
obtained by multiplying samples of the process from
one time with the complex conjugates of those from
later times. Just as the radar signal at a particular time
is the result of scatter from a range of heights
depending upon the length of the radar pulse and
how it is modulated, a lag profile is made up of lag
products from a similar range of heights. The set of lag
profiles for all delays contains all possible information
about the ACF.

Figure 3 shows results of a simulation where the
model ionospheric density increases linearly with
altitude and has two very narrow, closely spaced
layers of electron density enhancement, a situation
that might occur in the E region. If the transmission is
two short pulses spaced by three times their width,
where the pulse and layer spacing correspond, as in
Figure 3A, two of the four signals from the layers are
coincident, and the overlapping signal is twice as high
as the others, demonstrating the simple addition of
powers resulting from the lack of correlation of the
scatter from different ranges. The noise rejection
bandpass filter spreads the signal in height gives the
waveforms pointed shapes.

Figure 3B shows the lag profile with a delay equal to
the layer spacing, showing only one return from each
layer just as required. Although Figure 1 shows that
the returns at times t0 and t1 from short pulses p0 and
p1 are each the sum of scatter from two heights, they
have only one height in common. (A diagonal line
downward-to-the right defines the heights and times of
scattered signal entering the receiver simultaneously.)
Thus the product of the two returns has only one term
involving the same height, and only it has correlation.
However, the terms that do not correlate still contrib-
ute random clutter, and thus increase the noise on the
profile. It is possible to transmit the two pulses on
orthogonal polarizations at the Jicamarca radar,
eliminating the extra noise, but it is inevitable with
more than two pulses. The filter used to reduce the
effect of receiver and sky noise also spreads the signals
in time, introducing a spread of delays into the lag
profile. Shortening the pulse or correction during
analysis of the data eliminates this problem.

Varying the pulse spacing allows different lag delays
to be measured, giving all the necessary information
about the random process. This simple technique
provides excellent measurements, but it is slow
because sampling of each lag occurs sequentially,
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Figure 2 A radar can transmit the uncoded long pulse, but needs to transmit a pulse 13 times shorter with 13 times the peak power and

the same total power. This is very expensive; instead it modulates the long pulse with the Barker code and uses signal processing

techniques to get nearly the same results. Themodulated pulsemust have a spectrum as close as possible to that of the short pulse. The

simulation at the right shows that the signal from five narrow targets looks almost the same with the short pulse and the Barker-coded
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and also the pair of short pulses generally uses only a
small fraction of the available transmitter power.
Special sequences using three or more pulses partially
address both of these problems. Several ambiguity-
free lag profiles occur simultaneously from these
multiple pulse sequences, which have the property
that each of the several delays measured by pairs of
pulses in the sequence occurs only once. However,
multiple pulse sequences are still sparse, even when
interleaving several sequences on different frequen-
cies, a technique used at the EISCAT facilities.

Suppose we transmit a long phase-coded pulse
where the length of a baud, the shortest section of
constant phase, is equal to the short pulse and the total
length is 16 bauds. The lag profile for a delay of 3
bauds contains lag products at one time covering a
height range of 13 bauds, and the lag products from
one height are present for a time of 13 bauds. All of the
many products involving more than one height have
zero average values owing to lack of correlation,
ignoring the effect of the noise rejection filter. (The
simulations do include this small effect.) The lag
profile is a sum of lag products from all heights but all
with the same delay, and this suggests that one should
decode the lag profile just like the Barker-coded signal.
However the sequence of signs given by the product of
the transmitted code with itself shifted by 3 bauds
determines the code, and thus the code is different for
each delay. That is, if we have a code, we can generate
new codes by multiplying it by itself shifted by some
integral number of bauds. The autocorrelation func-
tion of each of these new codes has a central peak and
sidelobes. Any code that has sidelobes nearly as low as
aBarker code is a good code.Unfortunately, there is no

code which generates good codes for each shift. We
can make up for this deficiency by using a sequence of
codes such that the generated codes for each shift have
sidelobes which cancel or tend to do so, like the
complementary sequences described above. The se-
quence can be as long as needed, since only the
stationarity of the ACF rather than the signal is
important. One useful solution is to use a different
random code on each transmitted pulse. Products of
shifted random sequences are also random sequences,
and so the sidelobes are random and approach zero as
more pulses are used, as Figure 4 shows. Exact
cancellation is not necessary since it is not possible to
remove the clutter power, but only to remove its
systematic effect. However, it is remarkable that short
sequences of codes with no more members than twice
the number of bauds can achieve perfect cancellation
of the average value of lag product sidelobes. These
sequences, called alternating codes, are found with
very clever computer search techniques. Both these
techniques – alternating codes and the random codes
or coded long pulse technique – are in regular use.
They give nearly identical results when used correctly,
and the choice of technique depends upon practical
considerations.

Figures 3C and 3D show the improvement of these
techniques over the double pulse when receiver and
sky noise dominate. Part (C) shows the double pulse
measurement for an accumulation of 1000 transmit-
ted pulses. Each of the other delays requires the same
number of transmissions. Part (D) shows the results for
the random codes, and there are two differences
affecting the relative speeds. First, all the different
delays are available simultaneously with the random

Lag no.
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(D)

(A)

Coded long pulse
profile, high
noise

Pulse length TACFs,
highest and
lowest height
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Two-pulse lag profile
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Figure 3 (A) The power profile resulting from a pair of short pulses with spacing three times their width and a pair of thin layers with

corresponding spacing. (B) The lag profile for a spacing of 3; there is only a single return from each layer! This desirable result occurs

because scattered signals from different heights are not correlated. (C) and (D) Comparison of the performance of the double pulse

technique and the random codes technique (coded long pulse) for a casewith high sky and system noise. The latter has less noise on the

profile and obtains all of the different lags at once, resulting in more than 50 times better time resolution.
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codes; and second, the random noise is lower than the
double pulse. As a result of both of these factors,
the random codes are more than 50 times faster than
the double pulse.

It is very complicated to determine the exact relative
merits of the techniques when neither clutter nor noise
dominates. However, it is clear that in the clutter-
dominated case they are all nearly the same, with the
noted exception for the double pulse at Jicamarca.

The Incoherent Scatter Spectrum

The elementary analysis above ignored the electro-
static interaction among the various components of
the plasma; the interaction between the electrons and
ions is very important. Figure 5 shows several plots
computed by means of a program that includes this
interaction. Part (A) shows a sequence using the
Arecibo k vector, with the electron density ne increas-
ing by a factor of 2. Each plot is the ratio of the
spectrum and its associated ne, so that an invariant
shape would give identical plots. The lowest,
25 cm� 3, gives a spectrum that is almost exactly
Gaussian, but there is a very small unresolved narrow
feature at zero frequency. However, as ne increases to
easily measurable values, power shifts into the narrow
feature and the Gaussian shape is lost. Part (B) shows
the frequency scale expanded by 100 times to resolve
the narrow feature. As ne increases, the spectral ratios
become identical. Itwould appear that all of the power
has shifted to the narrow feature, called the ion line,
with constant shape; actually there is a small amount
of power in the plasma line, a very narrow feature at
the plasma resonance frequency (about 9MHz for

ne ¼ 106 cm�3). Fast electrons produced by photoion-
ization or other causes enhance this line, making it a
useful complement to the ion line.

Part (C) shows the ion line also; here ne ¼ 106 cm�3

for all cases but Te varies as Ti is held constant. As
Te=Ti changes from1 to 8, the spectrumbecomesmore
peaked; the location of the peak depends upon the
temperature of the electrons and the mass of the ion.
Part (D) shows the effect of changing the ion mass.
Lighter ions result in wider spectra with similar
shapes; O1, He1 and H1 have masses of 16, 4, and
1, respectively. With two or more ions present, the
shape differs from the sum of the spectra for the single
ions, particularly if the ion masses are similar.

One of several approaches to constructing a theory
containing the electron–ion interaction uses the
Nyquist theorem, familiar to electrical engineers for
determining the randomnoise level in lossy circuits but
also useful for plasma fluctuations in a generalized
form. The different species (electrons and each kind of
ion) all have admittance functions that combine to
form the spectrum of a sort of ‘circuit’. The dressed-
particle approach calculates the effect of each particle
on each of the other species, and so the total effect of a
particle is the sum of its intrinsic charge and the
induced charges. Finding the induced charge requires a
perturbation solution of the Vlasov equation. The
motion of the individual charges determines the effect
of the intrinsic charge, like the simple Gaussian
electron spectrum found above and found by a similar
method for the ions. In turns out that consideration of
the induced charges gives integrals over the velocity
density function that are very similar to the ones for the
intrinsic charge, and so in effect these single species
spectra combine in a fairly simple way to give the

(A) This is a sample signal
from one height (real part)

(D) This code is the product
of the one in (B) with itself
shifted by 3 bauds

(E) This is the lag profile
for a 3 baud delay using
the signal (C)

(F) Decoding with the shifted
code (D) gives this lag profile

(G) The central peak persists with
summation over many pulses while
the clutter adds randomly as this 
profile from another code shows

(B) This is a sample
random code

(C) Multiplying the two 
gives the coded signal
from one height

Figure4 Thevariouswaveformsassociatedwith the coded longpulse technique. In the receiver, the signal fromoneheight (A) appears

to be multiplied by the code (B), resulting in a modulated signal (C). If the code (B) is shifted by 3 bauds and multiplied by itself, then the

resulting code (D) determines the lagprofile (E).Decodingwith the code (D) gives lagprofile (F). The central peak is the signalwewant; the

rest of the profile is undesirable clutter that becomes relatively small with summation over many radar pulses.
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complete incoherent scatter spectrum. The ion line is
scatter from ion-acoustic waves at the thermal level,
while the plasma line is scatter from Langmuir waves,
possibly enhanced above the thermal level by photo-

electrons or other causes. It is also possible to include
the effects of the magnetic field and most types of
collisions is also possible.

The Debye length is an important parameter in the
equation for the spectrum. It defines a scale length that
determines the behavior of the plasma. For smaller
lengths the thermal energy of the plasma is sufficient to
keep the species independent, but for longer lengths
the electrical interactions are strong enough to tightly
couple the species. Thus the Debye length increases
with temperature, but decreases with the concentra-
tion of charges, qualitatively explaining the spectra of
Figures 5A and 5B.

The Maxwellian velocity distribution is established
by collisions between pairs of particles, either of the
same or of different species. Collisions are so infre-
quent that they have no significant effect on the
spectrum of the scatter in the F region for most ISRs,
but this is not so at lower altitudes in the E and D
regions. The effect on the single-species spectrum is
simple to understand in principle, but it can be difficult
to compute with good accuracy. When a particle
changes direction and speed frequently in a time
interval in which its progress along the radar line of
sight is small, as measured by the phase change of the
signal, its apparent progress is slowed. In the limit of
many collisions, it is like the so-called randomwalk (or
drunk sailor’s walk) in which the progress from a
starting point is proportional to the square root of time
rather than linear. Thus the spectrum is narrowed.
There is a second effect resulting from the sudden
changes in the speed along the radar line of sight that is
very much like modulating the carrier of an FM radio
station. This causes the energy to spread to higher
frequencies, but at a reduced power level. Figure 6A
shows the net effect for four different values of ion–
neutral collision frequency for the Arecibo case using
the Bhatnagar–Gross–Krook (BGK) collision model.

Figure 6B shows the effect of the Earth’s magnetic
field using k vectors for the Jicamarca radar. The
gyroradius for electrons is significantly smaller than
the radar wavelength, and so the only effective motion
is along the field lines. As the radar looks more closely
to perpendicular, an electron has to move very far
before it significantly affects the phase of the radar
signal. This takes a long time, and so the electron
single-species spectrum becomes narrow. The ion
spectrum normally determines the width of the inco-
herent scatter spectrum since it is narrower than the
electron spectrum, and so as the angle moves from
parallel toward perpendicular there is very little effect
at first. However, eventually the electron spectrum
becomes narrower than the ion spectrum and takes
control as the ions lose their influence on the electrons.
The fact that the electrons must move so far before the
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Figure 5 Various incoherent scatter spectra. Parts (A) and (B)

show the ratios of the spectrum with the corresponding electron

density. Part (A) shows that the wide Gaussian spectrum occurs

only for very small electron densities. At higher densities that can

be easily seen with a radar, the power shifts into a narrow line,

resolved in (B). Part (C) shows what happens as Te changes while

Ti ¼ 1000K and ne ¼ 106 cm�3. Part (D) shows the effects of

various ratios of different ions with the other parameters as in part

(C) with Te=Ti ¼ 1.
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phase of the radar signal changes has another surpris-
ing effect discovered recently. The effects of Coulomb
collisions on an electron due to other electrons
and ions are significant, a rare case where collisions
matter in the F region. These collisions narrow the

spectrum by about a factor of 2 for an angle of 0.251,
and strongly affect Te=Ti to more than 21 from
perpendicular.
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Introduction

Meteors, colloquially ‘shooting stars’, are among the
most beautiful and striking phenomena of the naked-
eye night sky. Measuring radio waves reflected from
the ionized trails that meteors create has proved a
powerful tool in investigations of meteors and the
region of the atmosphere in which they occur. Meteor
trails are carried by the winds at the height where they
form, and so HF- and VHF-radar Doppler measure-
ments of the drift velocities of radio meteors allow
determination of these winds – essentially using the

meteors as tracers of atmospheric motion. Most radio
meteor echoes are detected at heights between B70
and 110 km. This is the upper part of the middle
atmosphere and spans the upper mesosphere, the
mesopause, and the lower thermosphere. These re-
gions are notoriously difficult to investigate experi-
mentally because they are too high for in situ
measurements other than those made by rockets.
Meteor radars have thus played an important role in
elucidating many aspects of the dynamics of this part
of the atmosphere, particularly with regard to the
meanwinds, tides, and planetarywaves that dominate
the flow at these heights. Many types of radar can
detect meteors, but here we will concentrate on
purpose-built meteor radars used to investigate the
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Figure 6 (A) The effects of collisions on the spectrum for four

different ion–neutral collision frequencies. The plot indicates

ionospheric regions where the collision frequencies are typical.

Part (B) shows how the backscatter spectrum varies as the angle

between the radar k vector and the magnetic field approaches

perpendicular. These curves are only approximately correct since

the effects of Coulomb collisions are not included.
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dynamics and structure of the mesosphere and lower
thermosphere. Particular attention will be given to the
nature of the radio reflections from meteors and to
illustrating the capabilities, strengths, and weaknesses
of such radars for studying the dynamics of themeteor
region of the atmosphere.

Meteor Radar in Context

Radio studies of meteors prior to the 1970s were
mostly concerned with various aspects of meteor
astronomy and with understanding the physical
mechanisms responsible for the observed properties
ofmeteor echoes. Once the basic physical mechanisms
hadbeenuncovered, itwas realized that itwas possible
to use the drifting of radio meteors as tracers of
atmospheric dynamics at meteor heights. Early suc-
cesses included some of the first measurements of the
general circulation of the mesosphere and lower
thermosphere and the identification of various large-
amplitude tide and planetary wave modes that are
major features of the motion of the atmosphere at
these heights. Coordinated studies with instruments at
different locations allowed determination of the zonal
andmeridional structure of some of thesewinds, tides,
and planetary waves. Significant work was often
achieved even by simple radars operating without any
ability to determine echo heights and so restricted to
measuring winds representing a mean across the
meteor region weighted by the vertical distribution
of meteor echoes (see below).

In the 1980s and early 1990s, the development of
other techniques, particularly medium-frequency
(MF, or partial reflection) radar, mesosphere–strato-
sphere–troposphere (MST) radar, incoherent scatter
(IS) radar, and resonance and Rayleigh backscatter
lidar, to some extent overshadowed meteor radar as a
tool for atmospheric studies.

In recent years, however, there has been something
of a renaissance in meteor radar work. This is partly
because of the development of new radio meteor
techniques, and partly because sophisticated, com-
mercially produced, purpose-built meteor radars are
now available at relatively modest cost. Such systems
offer accurate echo height finding and are capable of
continuous operation over periods of years with
minimal maintenance, making them well suited to
operation at remote sites. These factors have com-
bined to greatly increase the number of meteor radars
deployed around the world.

Radio Echoes from Meteors

A meteor occurs when a particle of interplanetary
material enters the Earth’s atmosphere. The majority

of meteors detected by a typical meteor radar are
caused by particles of less than 1mm radius. Meteor
entry speeds are in the range B11–72 km s� 1 and so
rapid frictional heating results. Once the meteoroid
surface temperature reaches B2200K, significant
mass loss occurs as surface material ablates. The
visible light emitted from the meteor arises mostly
from the de-excitation of these excited meteoroid
atoms lost from the particle’s surface. Inelastic colli-
sions between these ablated atoms and the surround-
ing air molecules produce an approximately
cylindrical ionized trail behind the meteoroid particle.
The free electrons in this trail are able to scatter
incident radiowaves and so themeteor can be detected
by radar systems. Although it is possible to detect a
radio echo associated with the advancing ‘head’ of the
meteor, atmospheric science measurements generally
use the specular reflection observable in a direction
perpendicular to the ionized trail axis. A full treatment
ofmeteor physics andmeteor scattering theory is quite
involved and the theory will only be outlined here.

The structure of the ionized trail initially left by the
meteor is a function of the entry speed, entry angle,
and initial mass of the meteoroid particle. The trail’s
initial radial structure consists of a core of high
ionization density surrounded by less dense ionization
in an outer region. The initial ionized trail radius is
defined by the RMS value of the radial position of the
ablated ions after they have undergone the 10 or so
collisions necessary to reach thermal equilibrium.
Atmospheric mean free path increases with height,
and so the formative trail radius will be greater at
greater heights. The initial trail radius also varies with
meteor speed, but for a typicalB40 km s� 1meteoroid
the trail will form with an initial radius of B0.3, 0.6,
and 1.2m at heights of 75, 90, and 105km, res-
pectively. The trail itself will typically span some
10–15 km in height. The electron line density of the
trail is also a function of meteoroid mass and entry
angle, but themajority of observed values are less than
B1014m�1.

The amplitude of the radio echo received will rise
rapidly to a maximum as the meteor moves past the
specular reflection point, with most of the recorded
signal being from the first Fresnel zone. The echo
behavior after this maximum depends strongly on the
electron line density. If the line density is below
B1013m�1, then the radio wave fully enters the trail
and the scattered signal that is received results from the
individual contributions of all the electrons in the trail.
However, the trail radius will increase with time
because of ambipolar diffusion. Within a few seconds
the radius will have become sufficiently large that for
typical radio wavelengths of someB5–10m, destruc-
tive interference from scatter at different depthswithin
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the trail will extinguish the echo amplitude. The echo
amplitude will thus decrease rapidly from the peak
value. Such meteor echoes are known as underdense,
and the time of decay to half peak amplitude, t1=2, is
related to the ambipolar diffusion coefficient,Da, and
radio wavelength, l, by eqn [1].

t1=2 ¼ l2 ln 2

16p2Da
½1�

Figure 1 presents the amplitude–time profile of a
typical underdense echo. In this case, the echo lasts
for B1 s after the peak amplitude is reached before
returning to the noise level again. This characteristic
short-lived echo profile is very useful in distinguishing
genuine meteor echoes from potentially spurious
signals such as those from lightning or those produced
by reflections from aircraft.

This destructive interference phenomenon also
limits the greatest height at which underdensemeteors
can be detected using a particular radio wavelength,
since at some upper height the trail will formwith radii
sufficiently great for destructive interference to occur
instantly. This is sometimes known as the underdense
echo ceiling. Here we should also note that magnetic
and electric fields may modify the behavior of meteor
trails somewhat. For instance, magnetic fields result in
anisotropic diffusion at heights above B95 km.

A minority of echoes will come from meteors with
electron line densities greater thanB1015m� 1. In this
case, secondary scattering between electrons becomes
significant and the radio wave is reflected from the
surface of themeteor trail as from ametal surface (i.e.,
dielectric constant o 0). Such echoes are known as
overdense, and do not show the rapid fall-off in
amplitude of the underdense echo. Overdense echoes
may persist for many seconds, and the lifetime is
determined by recombination processes that ultimate-
ly extinguish the meteor ionization. Overdense echoes

are less useful because the echo amplitude may
fluctuate in a rather random manner as wind shears
distort the trail and give rise to constructive and
destructive interference from multiple specular reflec-
tion points. This makes unambiguous discrimination
of the echo from noise more difficult. Such distortions
may also cause a specular reflection point to move
along the distorting trail, giving a spurious drift
velocity. Electron line densities of B1014m�1 yield
transitional behavior between the two echo types.

Typical Meteor Radars

A wide variety of radar powers, modes of operation,
and antenna patterns can be used to detect meteors.
Typically, a purpose-built system might be a pulse
radar having the following parameters:

Operating frequency 25–60MHz
Peak power 6–200 kW
Duty cycle 1–15%
Pulse repetition frequency 200–2000Hz

The operating frequency must be selected to be high
enough that interference from ionospheric scatter is
not significant, but low enough that the underdense
echo ceiling does not become so low that it signifi-
cantly reduces meteor count rates. Pulse repetition
frequencies must be high enough that sufficient sam-
ples are recorded from a given underdense echo to
determine its parameters before the echo amplitude
decays back to the noise level.

The set of parameters determined for each individ-
ual meteor echo would usually include the following:
range, elevation and azimuth angles, power, and radial
drift speed (which is measured by Doppler tech-
niques). Typically, the distribution of radial drift
speeds is approximately Gaussian with a full width
at half-maximum of B55m s� 1. An uncertainty in
individual radial drift speeds of o2m s� 1 might be
attained for at least 50% of meteors recorded, and
nearly all would have uncertainties ofo5m s� 1.

Various antenna configurations can be used. So-
called all-sky systems use low-gain antennas to
illuminate a large volume of the meteor region around
the radar. Echo azimuth and elevation angles are
usually determined by an array of receiver antennas
acting as an interferometer. Horizontal wind speed
and direction for a particular height range are then
calculated by a least-squares fitting procedure applied
to the individual radial drift measurements made over
all azimuth angles. Note that these derived winds will
thus be means over the horizontal extent of the radar’s
meteor collecting volume.

Beam systems will typically use two or four
orthogonal beams and deduce horizontal flow speed
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and direction by ascribing the radial velocities meas-
ured in a particular beam to the azimuth of that beam’s
axis. If height information is not required, such a
systemneeds no interferometer and can be particularly
simple and inexpensive. The resulting winds are then
taken to represent a mean over the meteor region
weighted by the vertical distribution ofmeteor echoes.
Usually this would mean considering the winds to be
representative of heights of B90–95 km.

Patrol-type radars may operate at low power and
only switch to high power once ameteor is detected, or
may rotate transmitted power between different
beams, dwelling in one direction only once a meteor
has been detected.

Finally, we should note that the specular nature of
the radio reflectionmeans that themajority ofmeteors
falling into a radar’s collecting volume will still not be
recorded simply because the trail–radar geometry does
not because permit a perpendicular reflection, even for
so-called all-sky radars.

Regardless of the particular beam geometry used,
the individual radial meteor drifts are used to deduce a
horizontal flow in the atmosphere under the reason-
able assumption that the vertical flow velocities are
very small compared to the horizontal velocities on
time scales comparable to the achievable time resolu-
tion (B1h). Further, it is usually assumed that the
atmospheric flow is uniform over the entire horizontal
extent of the meteor collecting volume. Vertical flows
cannot be measured easily by meteor radars.

The strengths and limitations of meteor radars as
tools for investigating the atmosphere are thus largely
a consequence of the distribution of the recorded
meteor echoes in space and time. To illustrate this, we
will consider data recorded by a typicalmodern all-sky
radar, in this case a commercially produced SkiYmet
radar located at 681N 211E in Arctic Sweden. This
particular radar operates at a frequency of 32.5MHz,
has a peak power of 6 kW, a duty cycle of 15%, and a
pulse repetition frequency of 2144Hz. It uses an array
of five receiver antennas acting as an interferometer to
allow determination of echo azimuth and elevation
angles –which in combinationwith range information
allow echo height determination. Note that, although
radars of differing transmitted power, antenna polar
diagram, radio frequency, etc. will give slight varia-
tions in these distributions, their general character is
representative of nearly all purpose-built meteor
radars.

We now consider the spatial distribution of meteors
recorded by the radar. Figure 2 shows the distribution
of the 4519 individual meteors recorded on a partic-
ular day, projected onto a horizontal plane. The
meteors are distributed in a circular pattern around
the radar at horizontal distances up to 300 km.

Allowing for the circular gaps in the distribution
(caused by the receivers being short-circuited during
the transmission of successive radio pulses) the peak in
the horizontal range distribution ofmeteors is at about
120 km.The vertical distribution of these meteor
echoes is illustrated by the histogram in Figure 3.
Note how the distribution is strongly peaked at a
height near 90 km, and how very few meteors are
recorded below 80 km or above about 100 km.

These figures highlight two key differences between
the data from a typical meteor radar and those from
MF, MST, and IS radars. First, these other techniques
generally produce measurements that are essentially
volume averages, usually resulting from scatterers
distributed throughout a volume defined by the
intersection of the transmitted beam with the height
range of interest. Because the transmitted beams are
quite narrow, the measured wind fields are deduced
from a volume of atmosphere perhaps only a few
kilometers in horizontal extent. In contrast, meteor
radar measurements arise from quite localized scatter
from individual short-lived meteors, but the meteors
themselves are rather randomly distributed within a
much larger collecting volume in the meteor region,
which may extend horizontally for several hundred
kilometers around the radar. The winds derived for a
particular height range will therefore represent the
bulk motion of a slab of atmosphere that is only a few
kilometers deep but that has a horizontal extent of
several hundred kilometers. This means that a meteor
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radar cannot easily resolve structure on horizontal
scales less than a few hundred kilometers.

The second difference is that the vertical depth of
atmosphere from which sufficient meteors are record-
ed for reliable calculation of winds is comparatively
small. In the example presented here, winds can be
effectively calculated only for heights between about
80 and 98 km, because above and below these heights
there are too fewmeteors for reliablewind estimates to
be made.

Note that meteor radars using a beam, rather than
all-sky, configuration will still share these properties,
since to ensure adequate meteor count rates the beams
must be quite broad.

Finally, there is also a distinct diurnal cycle in the
count rate of meteor echoes. This is largely an
astronomical phenomenon resulting from the Earth’s
orbital motion and rotation, which causes it to sweep
up meteors on its leading hemisphere, whereas a
meteor must overtake the Earth in order to hit the
planet’s trailing hemisphere. The effect is strongest at
lower latitudes and for beam systems. The net result is

that meteor count rates will generally be lowest in the
second part of the day, although complex geometrical
and instrumental considerations will greatly influence
themagnitude of the diurnal variation recorded by any
particular radar.

As an example, Figure 4 presents normalized
hourly-mean count rates for three meteor radars.
The first is the all-sky radar operated at Esrange
(681N), considered above; the second is a twin-beam
radar operated in the UK (521N); and the third is an
all-sky radar operated onAscension Island (81 S) in the
equatorial Atlantic. It can be seen that even in
the favorable all-sky, high-latitude case the ratio of
maximum to minimum hourly meteor count rates is
about 2:1, and for the mid-latitude beam system and
the equatorial all-sky system it is about 10:1. This
effect means that care must be taken in deriving winds
for the low-count-rate part of the day (since there are
simply fewer meteors to work with).

These distributions of meteors in space and time
determine the resolution of the resulting wind meas-
urements. They will generally have reasonable height
and time resolutions ofB3km andB1 h, respectively,
but poor horizontal resolution (although, as noted,
not all radars actually determine echo heights). This
rather unexciting sounding aspect of the data is
counterbalanced by the almost unequaled ability of
meteor radars to record continuous high-quality data
sets over many years, without reliance on particular
geomagnetic conditions, weather, or time of day.

All these factors influence the particular aspects of
mesosphere/lower-thermosphere dynamics that can
be studied easily by meteor radar winds. Generally,
the mean flow, tides, and planetary waves all have
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horizontal scales so large that the poor horizontal
resolution is irrelevant. The vertical scale sizes and
wavelengths of these phenomena are also significantly
larger than the routinely available height resolution,
and so the radars can make detailed studies of the
vertical structure of these features across the meteor
region.Meteor radars are thuswell suited to the studyof
meanwinds, tides, and planetary waves and havemade
significant contributions in this area.This is particularly
so because the radar hardware is often quite simple and
well suited to prolonged operation for periods of years
at remote sites with only limited maintenance.

However, the horizontal wavelengths of gravity
waves can be comparable to or even smaller than the
horizontal extent of themeteor collecting volume, and
so self-cancellation between different parts of the
wave phase occurs. A number of ingenious experi-
ments have subdivided collecting volumes into smaller
cells in order to be able to resolve structures on gravity-
wave scale sizes, but it nevertheless remains true to say
that meteor radars are in general not well suited to the
study of gravity waves.

An example of the mesospheric winds measured by
a meteor radar is presented in Figure 5. The figure
shows hourly-mean zonal winds recorded by the all-
sky meteor radar at Esrange (681N 211E) in the
Arctic, described earlier. The figure reveals a strong
shear in the backgroundwind, superimposedonwhich
are the phase fronts of the semidiurnal tide, a tidal
mode that dominates at high latitudes.

Other Measurements Using Meteor
Radars

Meteor radars have also been used extensively for
studies of the astronomical aspects of meteors, measur-
ing meteor fluxes, size distributions, entry speeds, and
orbits. Other work has expanded the capabilities of
the technique for atmospheric science measurements.

In particular, various methods have been used to
relate the ambipolar diffusion coefficient (measured

from echo decay times) either to temperature–pressure-
related quantities such as T2=P or to wave-induced
fractional perturbations of temperature or pressure.
The poor quality of available absolute pressure esti-
mates for the uppermesosphere prevents thesemethods
from being used to infer absolute temperature values.

However, a recent extension of these methods has
seen the application of a scale-height analysis of
ambipolar diffusion coefficients to determine absolute
atmospheric temperature at the height of peak meteor
countswithout any reliance on knowledge of pressure.
This capability is potentially very useful because
atmospheric temperatures at meteor heights are ex-
tremely difficult to measure on an extended basis.
Most available ground-based temperature measure-
ment techniques are limited to times of darkness
and clear skies (lidar), or can only make single-shot
measurements (rockets). There is thus great future
potential in extending the atmospheric properties that
can be measured by the meteor radar techniques.

See also

Mesosphere: Metal Layers; Polar Summer Mesopause.
Polar Thermosphere. Radar: MST and ST Radars and
Wind Profilers; Synthetic Aperture Radar (Land Surface
Applications). Thermosphere.
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Short History and Definitions

MST stands for mesosphere–stratosphere–tropo-
sphere and qualifies VHF (very high frequency) radar
systems capable of observing all these regions of the
atmosphere. The technique was developed and used
for the first time in the early 1970s at the Jicamarca
Radio Observatory, an incoherent-scatter facility of
the Instituto Geofı́sico del Perú, located near Lima,
Peru (see Figure 1). The name that is now used was
coined a few years later on the occasion of the US
National Academy of Science workshop on the Use of
Radar for Atmospheric Research in the 1980s, held in
Salt Lake City, Utah, in 1978.

To reach mesospheric altitudes, the system must
normally have a very large antenna (or antennas) and a
powerful transmitter. In the case of the Jicamarca
radar, the antenna is a square arrayof dipoles 300mon
a side, and the transmitter has more than 2MW of
peak power. After the success of the Jicamarca radar in
obtaining radar echoes from these mid-atmospheric

altitudes, other radars were built specifically for this
purpose: the SOUSY radar in the Harz, Germany; the
Poker Flat radar inAlaska (no longer in operation); the
MU radar in Shigaraki, Japan; and the Gadanki
radar in Tirupati, India. The VHF EISCAT radar, in
Troms�, Norway, although built mainly for incoher-
ent-scatter ionospheric studies, should also be includ-
ed in the list.

To qualify as an MST radar, the system has to be
capable of obtaining echoes from themesosphere.This
requirement limits the frequency range of these radars
to the lower frequencies of theVHFband, i.e., between
30 and 300MHz. Smaller radars, using the same
principles and techniques but capable of reaching only
the stratosphere and troposphere, are called STradars.
Here we can cite as an example the NOAA Tropical
Pacific Profiler Network in the equatorial Pacific, and
the wind profiler network in central United States as
important multiple radar installations that qualify as
such. These, and even smaller systems capable of
observing only the troposphere, are also called wind
profilers, because of their main use as operational
radars dedicated to measuring the winds aloft in a
continuous manner. At these lower altitudes it is
possible to use frequencies higher than VHF frequen-
cies. Nowadays, many radars designed for other
purposes, including operational air traffic, meteoro-
logical Doppler radars, and ionospheric incoherent-
scatter radars, are also used as ST radars.

Figure 1 Panoramic view of the Jicamarca Radio Observatory and its 300m� 300m antenna array. The building houses a powerful

transmitter with approximately 3MW of peak power. It was the first MST radar and it is still the most powerful.
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At polar and near-polar latitudes a very special
mesospheric geophysical phenomenonmanifests itself
with a greatly enhanced radar reflectivity and permits
the use of smaller VHF systems. These smaller radars,
when operated at these latitudes, could also be
classified as MST radars. The Mobile-SOUSY radar
operating in Svalbard, Norway, the Peruvian radar
installed at its Machu-Picchu Antarctic station, and
theCornellUniversitymobile radar (CUPRI) belong to
this category. The list is not exhaustive and it includes
only some of the early systems. The high-reflectivity
phenomenon was discovered by the Poker Flat MST
radar and is referred to as PMSE, for polar meso-
spheric summer echoes, with occurrence limited to the
summer months.

Lastly, we are now seeing the proliferation of even
smaller radars that use the same techniques but are
limited to study of the lower troposphere; these are
referred to as boundary layer radars (BLRs).

The Basic Technique

TheMST radar technique involves the illumination of
a targetwith a pulsed electromagnetic (EM)wave. The
target, in this case the clear atmosphere, scatters a very
small fraction of the energy of the wave in all
directions, including the direction to the receiving
antenna, which in most cases is the same antenna used
for transmission. We should underline here ‘clear
atmosphere’ to differentiate the technique frommeteo-
rological radars that depend on hydrometeors (rain,
snow, hail) to act as targets. At reception, the returned
echoes are amplified and discriminated in range by
sampling them at different delays with respect to the
time at which the transmitted pulse was emitted,
taking advantage of the finite speed of propagation of
the probing wave (the speed of light). The sampled
signal forms a two-dimensional discretely sampled
complex random-process Sðh; tÞ, such as the one
depicted in Figure 2. One of the dimensions is the
sample delay, or range h, and the other is the discrete
time t corresponding to the emission of the transmitter
pulse. Given the practical statistical independence of
the process for different h’s, it is preferable to think of
the process as multiple random processes in t, ShðtÞ,
one for each h.

The complex nature of ShðtÞ is a consequence of the
coherent nature of the detection scheme used. The
magnitude of ShðtÞ is proportional to the amplitude of
the received radio signal, and its phase is that of the
received signal with respect to the transmitted one. In
practice, the signal is obtained and represented by its
real and imaginary components.

The received signals are digitized and fed to a digital
processing system. There they are grouped and statis-

tically processed as multiple independent time-series,
one for each range ðh ¼ 1; 2; . . . ;NÞ. The statistical
parameters obtained for each series are related to the
properties of interest corresponding to each particular
range, h, as discussed in the following sections.

One characteristic of the MST or ST echoes is the
slowness of the process as compared to the typical
pulse repetition rate, i.e., the sampling time interval.
The corresponding interpulse period is determined by
the maximum altitude (delay) of the region under
study. This period is of the order of a fraction of a
millisecond, whereas the characteristic time of the
process is of the order of a second or more. This
permits the coherent addition of many samples of
almost identical value before any further processing is
done. This is a common pre-processing scheme in all
MST radars and has a twofold advantage: it enhances
the signal-to-noise ratio of the signal prior to its later
processing and, more importantly, it reduces the
digital statistical-processing speed requirements by
about two orders of magnitude.

Underlying Principles

The MST radar technique is based on the scattering
properties ofminute fluctuations in index of refraction
at the altitudes of interest. At tropospheric and
stratospheric altitudes, these fluctuations in refractive
index come about as a consequence of fluctuations in
the density of the medium. At mesospheric altitudes,
the medium is ionized and it is the density of free
electrons that determines its index of refraction.
Hence, the scattering is produced by fluctuations in
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Figure 2 Schematic representation of the radar received signal,

ShðtÞ � Sðh; tÞ, as a two-dimensional random process. The

process is sampled at the altitude of the echoing region, h, and a

time t , corresponding to the time of the transmitted pulse. The

process is complex. Here we are representing only the real

(or imaginary) component.
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electron density. In all cases, the fluctuations in index
of refraction, small as they are, must be enhanced well
above the ever-existing thermal fluctuation level. This
enhancement is usually produced directly or indirectly
by turbulence.

At tropospheric heights the MST radar technique,
although it does not exclude fluctuations produced by
the presence of hydrometeors, depends mainly on
clear-air fluctuations of the dielectric properties of the
medium. This dependence on clear-air fluctuations
differentiates theMSTor ST techniques from the older
and better-known meteorological radars, which do
dependon the existence of hydrometeors.The fact that
MST radar technique does not require the presence of
hydrometeors extends the usefulness of the technique
by permitting continuous 24-hour observations of the
stratosphere and troposphere. At mesospheric alti-
tudes theMSTradar technique is useful mainly during
(mesospheric) daytime hours when free electrons
exist. At polar latitudes the time is extended during
the summer almost to a full day, depending on the
latitude.

Fluctuations in the index of refraction in the
atmosphere are of a stochastic nature; consequently,
the radar echoes they produce are also stochastic. Both
have to be characterized statistically. If we denote the
fluctuating component (zero mean) of the index of
refraction of the medium at position x (vectors are
represented by bold letters) and time t by nðx; tÞ, an
important statistical property of the medium is given
by its un-normalized space–time autocorrelation
function, rðr; tÞ, defined in eqn [1].

rðr; tÞ ¼ hnðx; tÞ nðxþ r; t þ tÞi ½1�
Here,nðxþ r; t þ tÞdenotes the fluctuation in indexof
refraction measured at a displaced position r and time
lag t. Both displacements refer to the point, x, and
time, t, where nðx; tÞ is initially measured. The angle
brackets represent an ensemble average. We have
assumed that the medium is homogeneous within a
large space around x, and stationary within an
observational time centered around t, hence the
independence of rðr; tÞ on these variables. The statist-
ical properties of the received signal, ShðtÞ, as defined
before, scattered from a region of range h, are
characterized in turn by its temporal correlation
function ChðtÞ. Furthermore, it can be shown that
these two statistical averages are, under simplifying
assumptions, related as in eqn [2].

ChðtÞ � hShðtÞSnhðt þ tÞi ¼ A

Z
rhðr; tÞ e�jk . r dr ½2�

where A is a constant of proportionality that depends
on the radar system parameters, including – among

others – the radar power and its antenna gain. The
vector k is called the scattering Bragg wave vector and
stands for the vector difference ki � ks. The terms ki
and ks stand, in turn, for the incident and scattered
electromagnetic wave vectors, respectively. Note that
we have relaxed the assumption of homogeneity of the
medium, allowing rhðr; tÞ to vary slowly as a function
of the range h.

In most MST radar systems the transmitter and
receiving antenna are in the same place. Then, the
incident and the scattered wave vectors are aligned
with the line of sight but with opposite signs. In such
a case the Bragg vector k is equal to 2ki and has
a magnitude equal to twice the wavenumber corre-
sponding to the radar frequency, o, i.e., k ¼ 2�
2p=l ¼ 2o=c, where c is the speed of light and l is
the radar wavelength.

The potential of theMSTradar technique, as well as
of other radars used to observe the atmosphere, is
based on the simple functional relationship of eqn [2].
Note that the integral operation on rhðr; tÞ is its three-
dimensional Fourier transform evaluated at a single
wave vector k. The first conclusion we can derive from
eqn [2] is that the radar is sensitive only to one of the
Fourier components of rhðr; tÞ, that corresponding to
k, and, hence, on the basis of the Wiener–Khinchin
theorem, to the same Fourier component of the
random fluctuations nðx; tÞ. The fluctuations repre-
sented by nðx; tÞ can be thought of as the Fourier
superposition of many sinusoids of different wave-
lengths. However, the radar will see only one compo-
nent of the fluctuations, ~nnðk; tÞ, i.e., the one with a
wavelength equal to half the wavelength of the radar
and a direction aligned with the line of sight (in the
backscatter case) of the radar. Furthermore, the power
of the echo returns, given by Chð0Þ, is proportional to
the power spectral density of this fluctuation compo-
nent, h~nnðk; tÞ2i. Additionally, the temporal dynamics
of ChðtÞ depends on the dynamics of this spatial
Fourier component of the fluctuations.

We have characterized above the statistical proper-
ties of the received signals by the autocorrelation
function, ChðtÞ, of the time-series they generate. They
can also be characterized by their frequency power
spectra, FhðoÞ, since this is the temporal Fourier
transform of ChðtÞ (eqn [3]).

FhðoÞ ¼
1

2p

Z
ChðtÞ e�jot dt ½3�

In fact, in most MST radar processing systems, the
frequency spectrum is evaluated directly from the
series it characterizes, taking advantage of the speed of
the fast Fourier transform (FFT) algorithm. The
frequency spectrum is also preferred by many users
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of the technique for discussing the physicalmeaning of
the observations. Figure 3 shows schematically the
typical shape of these two functions, ChðtÞ and FhðoÞ.
We will discuss later the physical significance of their
characterizing parameters.

On the Origin of the Scattering
Fluctuations

To interpret theMST radar results we need a model of
the physical mechanisms responsible for the fluctua-
tions in index of refraction that are responsible for the
radar echoes. In most cases, the small-scale fluctua-
tions are produced by turbulent processes. Acoustic
waves can also produce scattering fluctuations, but
only if excited significantly by artificial means.

Turbulence occurs in the atmosphere as a conse-
quence of static or dynamic instabilities. Under the
presence of a gradient in the undisturbed index of
refraction, turbulence will mix parcels of high index
into regions of low index of refraction, and vice versa.
Once these primary fluctuations are formed, smaller

secondary fluctuations are produced as a consequence
of smaller-scale mixing working on the larger scale
fluctuating gradients. In the case of the neutral
atmosphere the index of refraction depends on the
neutral density, which for a given pressure depends on
temperature.

The required original gradient in index of refraction
has to deviate from that produced by the normal static
exponential vertical pressure gradient of the atmos-
phere produced by gravity. One actually requires an
initial gradient in potential temperature (temperature
at a constant reference pressure). Potential tempera-
ture behaves as a passive scalar, i.e., stays invariant in a
Lagrangian description of the turbulent motions,
despite the presence of the exponential static pressure
gradient; thus it fluctuates as any other passive scalar
as a consequence of turbulence mixing.

In the mesosphere, the index of refraction depends
on the electron density. For turbulence to produce the
necessary fluctuations, we need a gradient in this
density, or more properly in the potential electron
density (i.e., electron density at a given reference
pressure). The behavior of electron density as a passive
scalar can be questioned because of production and
recombination processes, but these can be partially
ignored given their relatively large characteristic times
at these altitudes.

Apart from the fluctuations produced directly by
turbulent mixing, other indirect effects may also
produce scattering structures. Here we need to con-
sider that turbulence in the atmosphere, with excep-
tion of that produced by tropospheric thermal
convection processes, is stratified. This is a conse-
quence of the fact that dynamic instabilities produce
turbulence only at altitudes where the vertical shear of
horizontal velocities exceeds a critical level. Thus, the
transition region from turbulent to nonturbulent can
be very thin, producing essential discontinuities in the
vertical profile of index of refraction with a large
horizontal extent. If the discontinuity has a horizontal
dimension larger than a Fresnel radius, it can produce
a partial reflecting structure with almost specular
properties. Alternatively, these structures can be
incorporated in the formalism expressed by eqns [1]
and [2] above as very flat, disklike, local correlation
functions to which corresponds an almost unidirec-
tional spatialwave vector ðkÞ spectrum.We then speak
of ‘aspect-sensitive’ structures with enhanced scatter-
ing properties in the vertical direction.

Furthermore, the transition from turbulent to non-
turbulent is a region where the initial vertical shear is
concentrated. This shearwill take an initially isotropic
blob and deform it into an elliptical shape, also
producing almost horizontal aspect-sensitive struc-
tures with similar scattering effects.
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The existence of these aspect-sensitive structures
complicates the interpretation of the radial velocities
measured by the radar since it effectively introduces a
bias in the effective pointing direction of the antenna
beam. On the other hand, the enhancement in reflec-
tivity produced by these aspect-sensitive structures is
used by some ST techniques, by pointing only in the
vertical direction, to reduce the required power and/or
antenna size while maintaining sufficient sensitivity.

Physical Interpretation of the Radar
Echo Characteristics

The frequency spectrum FhðoÞ of the radar echo
returns is usually a bell-shaped function, especially
when the radar has sufficient altitude resolution to
sample a locally homogeneous region. As such, the
spectrum can be well characterized by its first three
moments, i.e., its total power or area under the
spectrum, its displacement with respect to zero
frequency (transmitter frequency), and its width. The
contributions of noise and ground clutter, which are
always present, have to be subtracted before the
analysis.

According to the previous discussion, the total
power, Chð0Þ ¼

R
FhðoÞ do, is proportional to

h~nnðk; tÞ2i, i.e., the spatial spectral power density at
wave vector k, and is a proxy of the total fluctuation
power hnðx; tÞ2i. In fact, under the assumption that the
fluctuations are a consequence of turbulent mixing,
turbulence theory allows us to infer the latter from the
former. We need only to assume k to be within the
inertial subrange of turbulence, i.e., a known spectral
shape, andhave an estimate of the outer scale,which in
many cases can be obtained from the measurements
themselves (e.g., layer thickness). Thus the technique
allows us to obtain the altitude and temporal distri-
bution of turbulence intensity in the atmosphere.
Therefore, the MST power measurements have been
used to determine themorphology of turbulence in the
atmosphere. Under the assumption of turbulent mix-
ing, MST radar measurements have also been used to
estimate turbulent diffusivity and the energy dissipa-
tion rate at different altitudes. Regions of high aspect
sensitivity can be discriminated by looking off-vertical
or with interferometer techniques (see below). Aspect
sensitivity can be used, at least in a qualitative fashion,
as an indication of the presence of anisotropic turbu-
lence or as an indication of sharp horizontally strat-
ified structures in the index of refraction such as the
ones discussed above.

The second characteristic parameter of the frequen-
cy spectrum is the displacement of the ‘center’ of the
spectrum with respect to zero frequency (i.e., the

transmitter frequency). As intuitively expected, this is
a Doppler displacement and is related to the radial
velocity of the target. We will show next that this is
indeed the case.

Density, and hence dielectric, fluctuations at the
scale sizes of interest have two main modes of
dynamical behavior – acoustic and diffusive – depend-
ing on whether or not there are pressure fluctuations
associatedwith them.Acoustic fluctuations propagate
at the speed of sound; diffusive fluctuations do not
propagate, they move with the bulk motion of the
medium in which they are imbedded. Turbulence-
induced fluctuations are diffusive and therefore can be
used as tracers of the bulk motions of the atmosphere.
Acoustic fluctuations are also capable of scattering if
excited at a sufficiently high level. They are the
artificially introduced tracers of the radio acoustic
sounding system (RASS) technique, which we will
briefly mention later.

If a time-varying random fluctuation field does not
show any preferred direction with respect to an
observer, there is no relative velocity between the
observer and the medium. In this case the correspond-
ing space–time autocorrelation function is symmetric
under a direction interchange, i.e.,roðr; tÞ ¼roð�r; tÞ.
A radar observing from this frame of reference will
obtain a real and symmetric spectrum FoðoÞ ¼
Foð�oÞ. If the same medium moves with velocity v
with respect to the same observing radar, then
rðr; tÞ ¼ roðr� vt; tÞ. It can be shown using eqns [2]
and [3] above that the resulting spectrum would then
be given by eqn [4].

FðoÞ ¼ Foðo� k . vÞ ½4�

This is the Doppler effect and means that the point of
symmetry of the spectrum would be shifted by a
frequencyO ¼ k . v, proportional to the velocity of the
medium, v, projected along the Bragg wave vector, k.
Since the first moment of the symmetric spectrum
FoðoÞ is zero, the first moment of the displaced
spectrum, FðoÞ, is given by the displacement
O ¼ k . v. In practice, owing to deviations from medi-
um homogeneity within the scattering volume, one
may find that there is no perfect center of symmetry for
either FðoÞorFoðoÞ.Nevertheless, one can always find
the first moment and use it as a measure of the
(projected) velocity of the medium.

Backscatter radar measures the medium vector
velocity component along the line of sight of the radar,
at all ranges. Figure 4 shows an example of a spectrum
profile obtained with the Arecibo, Puerto Rico,
430MHz radar in STmode. The radial velocity profile
can be practically read directly from the graph. By
using at least three different andnon-coplanar pointing
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directions one could determine the full velocity vector
of the medium, including the vertical component,
provided that the three scattering volumes are close
enough to sample the same velocity field.

The MST (or ST) technique is the only technique
capable of measuring directly the very small vertical
component of the atmospheric motions. Accuracies of
the order of a few centimeters per second are obtained
for the on-line-of-sight velocitieswith only aminute of
integration. Another important advantage of the
technique is its high temporal resolution and continu-
ity of observation. The time dependence of full vector
velocity fields can be obtained showing the fastest
temporal fluctuations of buoyancywaves at andbelow
Brünt–Väissälä periods aswell as the longest planetary
wave periods, and beyond.

As far as the horizontal components of the wind are
concerned, there are a variety of radiowave techniques
that can be employed. At least half a dozen different
acronyms have been coined for these methods, but in
reality they are based on only two different principles.
Some can be grouped as techniques based on multiple
projections of the Doppler shift, as described above.
The others are based on the relationship between the
velocity of the diffraction pattern cast on the ground
by the scattered EMfield. These aremeasured by three
or more non-collinear spaced antennas, that respond
to the horizontal velocity of the medium responsible
for the scattering. Figure 5 depicts velocity parameters
obtained with a BLR using this latter technique.
Another technique belonging to the second group is
the interferometric technique. Here antenna signals
are processed in pairs. The cross-spectral correlation
of these two received signals gives additional infor-
mation, including the angle of arrival of the echo its
angular velocity and the angular spread of the scatter-
ing region. But even this grouping is artificial, since it
can be shown that the angular distribution of the
scattered waves (pointing techniques) and the spatial
distribution of the field on the ground (spaced receiver
techniques) forma spatial Fourier transformpair – i.e.,
they are not independent.

For the interpretation of the spectral width, it is
convenient to think of the scattering signal as coming
from different independent subvolumes of the total
scattering volume. The size of the subvolumes should
be much smaller than the total volume but slightly
larger than the Bragg scattering wavelength. Each of
the subvolumes will scatter with a Doppler shift
corresponding to its radial velocity. If we assume the
scattering properties of the medium to be homogene-
ous, the Doppler frequency spectral width would be a
measure of the radial velocity distribution of the
subvolumes. In a turbulent mixing model, the spectral
width is then directly related to the variance of the
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turbulent velocities and hence a measure of the
turbulent kinetic energy and, through turbulence
theory, is related also to the turbulence dissipation
rate. Figure 6 shows an experimental example of the
three spectral moments, including the spectral width,
as a function of altitude and time obtained by the
ALWIN radar, in Andenes, Norway. In this case, they
correspond to PMSE echoes.

The validity of the above interpretation of the
spectral width depends on the validity of some implicit
assumptions. We have implicitly assumed that the
subvolumes have a frozen structure. In reality there are
smaller-scale motions within the subvolume, even
smaller than a wavelength. The measured spectrum is
actually the convolution of the velocity distribution of
this smaller structure with the distribution of the
subvolume velocities. This assumption has no practi-
cal consequence, since the variance of the larger
structures is much larger than that of the smaller
scales and, in any case, the measured spectra actually
include the contributions of the smaller scales.

We have also implicitly assumed that the average
radial velocities of the subvolumes are all the same and
that the mean Doppler shift is a measure of it. In
practice the antennas have a finite beamwidth and the
horizontal component of the wind will project differ-
ent average values depending on the pointing angle to
the subvolume with respect to the center pointing
direction of the antenna. This effect can be very
important, considering that the horizontal velocities

are very large, of the order of tens ofmeters per second,
while the turbulent velocities are only of the order of
10 cm s�1. The effect is known as the beam broaden-
ing effect. Fortunately, unless the beam width is of the
order of ten degrees or more, the beam broadening
effect can be corrected by deconvolving the spectrum
with the known beam broadening effect. To do this
one needs to know the horizontal velocity, which is
measured by the technique.

Other sources of spectral broadening are the exist-
ence of shear and gravity waves. Shear is important
only in oblique pointing directions when the altitude
resolution is not capable of resolving the existence of a
shear in the horizontal velocity (see for instance the
spectrum at 15.2 km in Figure 4). In this case, the
subvolume average radial velocities have systematic
contributions from the different horizontal velocities
at different altitudes. On the other hand, if there is a
concurrent vertical pointing beam, shear broadening
can be used to infer the value of the very same shear
that produced it, even when the instrument is not
capable of resolving it. Gravity waves can also
contribute to the broadening, but only when the
spectra have been obtained with an integration time
that is longer than a significant fraction of the shortest
(Brünt–Väissälä) periods in the wind fluctuations.

We have mentioned that acoustic wave density
fluctuations are also capable of producing EM wave
scattering. In this case the Doppler shift is given by the
acoustic velocity and hence it can be used to determine
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the temperature of the medium, but the natural
background level of the fluctuations is too weak to
be of practical use: therefore artificial excitation of the
waves by acoustic sources is necessary. The technique
has been used successfully to measure tropospheric
temperature profiles and is known as the radio
acoustic sounding system (RASS).

See also

Boundary Layers: Neutrally Stratified Boundary Layer.
Clear Air Turbulence. Data Analysis: Time Series
Analysis. Dynamic Meteorology: Overview. General
Circulation: Overview. Mesosphere: Polar Summer
Mesopause. Radar: Doppler Radar; Incoherent Scatter
Radar; Precipitation Radar.
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Introduction

Precipitation radars are widely used to determine the
location, size, and intensity of precipitating storms.
Ground-based scanning precipitation radars are used
in short-term weather and flood forecasting, and to
estimate the distribution and amount of cumulative
rainfall over a region. The weather services of many
industrial countries have networks of operational
radars that monitor precipitation near population
centers. The output from these operational radar
networks can be combined to provide a picture of the
distribution of precipitation over synoptic-scale re-
gions. Mobile precipitation radar on aircraft provides
pilots with information to navigate safely around
dangerous regions of hail and turbulence. Precipita-
tion radars are also used tomap the three-dimensional
structure of storms. Spaceborne precipitation radar on
low-orbit satellite maps the structure and distribution
of precipitation around the globe over periods of
months and years.

The British and Americans first developed weather
radar during World War II. The precipitation radar
transmits a pulse of electromagnetic energy via an
antenna. When the transmitted energy encounters a
reflector, such as a raindrop, part of the transmitted
energy is scattered back toward the antenna, where it
is received and amplified. The time delay between the
original pulse transmission and the receipt of the
backscattered energy is used to deduce the distance to
the reflector. The relationship between the range-
corrected, backscattered, returned power and the
size and number of the reflecting targets is the
physical foundation for interpreting precipitation
radar data.

The frequency of electromagnetic waves f in Hz
(s� 1) is defined as f ¼ c=l, where c is the speed of light
and l is the wavelength. Radar frequencies are divided

into several bands, as shown in Table 1. The choice of
frequency for precipitation radar is a tradeoff between
the practical constraints of size, weight, cost, and the
relation between the wavelength and the size of the
target hydrometeors. Theoretical considerations favor
the choice of the longer S-band and C-band wave-
lengths formany precipitation applications. However,
use of these longerwavelengths is not always practical.
The beam width for circular antennas is proportional
to l=d, where d is the antenna diameter. In comparison
to shorter wavelengths, longer wavelengths necessi-
tate a larger antenna to obtain a focused beam of the
same angular beam width. Larger antennas are heav-
ier, require more powerful motors to rotate them, and
are more expensive than smaller antennas. Shorter X-,
Ku-, and Ka-band wavelengths are often utilized in
mobile precipitation radars deployed on spacecraft,
aircraft, and ships where size and weight are more
constrained as compared to stationary ground-based
radars.

Table 1 Precipitation radar frequencies and wavelengths

(adapted from Skolnik, 1990, and Rinehart, 1991)

Band

designation

Nominal

frequency (GHz)

Nominal

wavelength

(cm)

Applications

S 2–4 15–8 Surface-based

radars

C 4–8 8–4 Mobile and

surface-

based

radars

X 8–12 4–2.5 Mobile and

surface-

based

radars

Ku 12–18 2.5–1.7 Mobile and

spaceborne

radars

Ka 27–40 1.1–0.75 Mobile and

spaceborne

radars
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Precipitation Radar Components

The precipitation radar consists of a transmitter,
receiver, transmit/receive switch, antenna, and display
(Figure 1). In this simplified diagram, the processing of
the electromagnetic signals into output suitable for
display is included in the display block. A phase
detectormay be included tomeasureDoppler velocity.
The radar transmitter contains a modulator that
switches the transmitter on and off to form discrete
pulses. The radar sends out a pulse and then switches
to the receiver to listen. The range to the targets is
obtained by comparing the time of pulse transmission
to the time the backscattered pulse is received. In
precipitation radars, the pulses are transmitted at a
pulse repetition frequency (PRF) of � 300–1300Hz
and each pulse is order 1 ms (10�6 s) in duration. The
time between transmitted pulses limits the maximum
range ðrmaxÞ the electromagnetic pulse can travel
before the next pulse is transmitted (eqn [1])

rmax ¼ c

2PRF
½1�

The receiver detects and amplifies the received signals
and averages the characteristics of the returned pulses
over defined time periods. Typical peak transmitted
power for an operational precipitation radar is
105–106W. Typical received power is 10�10W. The
transmit/receive switch protects the sensitive receiver
from the powerful transmitter.Without the switch, the
radar transmitter would burn out the receiver. In
practice, the transmit/receive switch is not perfect and
a small amount of transmitted energy leaks into the
receiver.

Radar antennas focus transmitted energy and direct
it along a narrow angular beam. For scanning radars,

this direction is often described in terms of an elevation
angle relative to the ground and an azimuth angle
relative to north. Moving the antenna points the axis
of the beam in different directions, and permits
scanning of two- and three-dimensional regions of
the atmosphere. The antenna shape determines the
radar beam size and shape. The radar energy is
maximum along the center of the beam and decreases
outward with increasing angular width. The beam
width is defined as the angular width where the power
is exactly half the maximum power. Most precipita-
tion radars utilize a circular parabolic antenna for
both transmission and reception.

The main purpose of the display is to distinguish
scatterers at different ranges. A basic scanning radar
display will usually indicate the compass angle and
range to the radar echo in polar coordinates. Figure 2
shows the range-corrected received power as a func-
tion of range along a single pointing direction of the
antenna. This example illustrates that not all the
energy received at the radar is backscattered from
meteorological targets. Transmitter leakage and
ground clutter from nearby nonmeteorological targets
such as trees and buildings are present at close ranges
in the display. The signal from a point target such as a
radio tower is present at 50 km range. Thewider signal
associated with meteorological echo is present in the
range between 90 and 115 km.

The Radar Equation

The radar equation expresses the relationship between
the transmitted power and backscattered received
power from precipitation targets in terms of the
radar’s hardware characteristics and the distance
between the transmitter and the target. In this section,
the radar equation and radar reflectivity will be
derived by first making some simplifying assumptions
and then gradually refining the terms to more accu-
rately represent the electromagnetic theory underpin-
ning precipitation radars.

Isolated Scatterers

The amount of power incident ðPiÞ at an isotropic
target of cross-sectional area At at range r1 from an
isotropic transmitter is given by eqn [2], in which Pt is
the transmitted power (Figure 3A).

Pi ¼ PtAt

4pr21
½2�

Transmitted power and received power are commonly
expressed in units of watts or dBm. The latter
represents the ratio of power ðPÞ in watts relative
to 1 milliwatt ð10 log10 ½P=10�3 W�Þ. In a typical

Transmitter Receiver

Phase
detector

Switch Antenna

VR

r, Ze Display

Figure 1 Simplified hardware block diagram of a precipitation

radar. Thenon-Doppler portionof the systemyields the range r and

equivalent reflectivity factor ðZeÞ of the target. Dashed lines

connect parts of the system included in a Doppler radar that

additionally measures the radial velocity of the target ðVrÞ.
(Adapted from Houze, 1993.)
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operational precipitation radar, the minimum detect-
able signal is � �100 dBm and the peak transmitted
power is � 90 dBm.

Assuming the target does not absorb any power and
radiates the energy it receives isotropically, the power
received at range r2 from the target by a receiver of
effective cross-sectional areaAe (Figure 3A) is given by
eqn [3].

Pr ¼ PtAt

4pr21

Ae

4pr22

� �
½3�

When the transmitted energy is focused with an
antenna, the ratio of the power per unit area along the
axis of the focused beam to the power per unit area of
an isotropic transmitter is a measure of antenna gain
ðGÞ. For a circular, parabolic antenna typically used on
precipitation radars, the antenna gain can be approx-
imated in general as a function of the horizontal ðyHÞ
and vertical ðyVÞ beam widths in radians, or for the
receiving antenna as a function of the radar wave-
length and Ae, as shown by the relationship [4].

G � p2

yHyV
� 4pAe

l2
½4�

The antenna gain is usually of large magnitude and is
often expressed in decibel units, 10 log10 G. For
example, the antenna gain specification is 45 dB for
the US National Weather Service WSR-88D opera-
tional radars, whichmeans the antenna focuses energy
about 30 000 times better than an isotropic transmit-
ter. The use of a directional antenna for transmission
leads to modification of the term representing trans-

mitted power in eqn [3] from Pt to GtPt, where Gt is
the gain of the transmitting antenna. Usually precip-
itation radars utilize a single directional antenna for
both transmitting and receiving which permits the
simplifications of r1 ¼ r2 ¼ r and Gt ¼ G in eqn [3].

Real-world scatterers are usually not isotropic, and
the size of the backscattered cross-section area At is
usually not equal to the physical size of the scatterer.
The amount of scattered energy is dependent not only
on the radar wavelength and incident power at the
range of the target, but also on the target character-
istics of size, shape, composition, three-dimensional
angle between the target and transmitter, and target
velocity. The backscattering cross-section ðsÞ is de-
fined as the apparent area that, if scattered isotropi-
cally, would return to the receiver an amount of power
equal to the power actually received. Table 2 shows
values for s for diverse types of single scatterers.

Making substitutions for Pt;Ae, and At into eqn [3]
yields eqn [5], which gives the power received by a
precipitation radar with a directional antenna from
a single target of backscattering cross-section s at
range r (Figure 3B).

Pr ¼ PtG
2l2s

4pð Þ3r4 ½5�

Distributed Scatterers

Precipitation particles such as raindrops, snowflakes,
hail, and graupel act as distributed scatterers in the
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Figure 2 Two-dimensional radar display of range-corrected received power as a function of range showing signal from transmitter

leakage, ground clutter, point target, and weather echo. See text for further details. (Adapted from Rinehart, 1991.)
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volumeof atmosphere illuminatedby the precipitation
radar. The resolution volume ðVresÞ illuminated by a
transmitted pulse along the beam is approximated by a
cylinder defined by the beam widths and pulse length
of the radar hardware and the range to the volume,
expressed as eqn [6].

Vres � p r
yH
2

� �
r
yV
2

� �
ct
2

½6�

Here t is the pulse length in seconds. Antenna beam
widths are assumed to be small, such that the small
angle approximation y � sin y is valid. The resolution
volume is defined as the incremental volume along the
beam from which scattered energy is received simul-
taneously at the radar. The one-half pulse length factor
(i.e., t=2) comes in since the backscattered energy from
the front edge of the pulse at time t0 þ t=2 and range
r0 þ ct=2 arrives back at the radar at the same instant
as backscattered energy from the trailing edge of the
pulse at time t0 þ t and range r0 (Figure 4). To account
for the actual distribution of power within a beam
generated by a circular parabolic antenna, a correction
factor of 1=ð2 ln 2Þ is applied to eqn [6] yielding
eqn [7].

Vres ¼ pr2yHyVct
16 ln 2

½7�

For operational precipitation radars, typical beam
widths of 1–21 and pulse lengths of 0.5–1 ms result in
resolution volumes of order 107–108m3 at 60 km
range.

The backscattered signal from a volume of ran-
domly distributed scatterers is the sum of the signals

r1

Pt

r2

Pr

Isotropic
transmitter

Isotropic
target of area At

Receiver of 
area Ae

(A)

(B)

Target of backscattering
cross-section �

r

Figure 3 (A) Schematic of energy from an isotropic transmitter

ðPtÞ traveling distance r1 to an isotropic target of area At. The

energy received at the target ðPrÞ is then isotropically radiated by

the target and travels distance r2 to a receiver of area Ae. (B) In

precipitation radars, an antenna is used to focus the energy into a

particular direction. The received energy is scattered by the target

at range r . The backscattered portion of the energy corresponding

to cross-section s is received by the antenna.

Table 2 Backscattering cross-sections at l ¼ 10 cm (adapted

from Doviak and Zrnic, 1993)

Object s (m2)

C-54 aircraft 10 to 1000

Human 0.14 to 1.05

Weather balloon, seagull 10�2

Small birds 10�3

Bee, dragonfly 3� 10�6 to 10�7

Water sphere (D ¼ 2mm) 1.8� 10�10

Free electron 8� 10�30

Pulse

c �

r0 r0 + c �
2

r0 + c �

Increasing range

Time = t0

Time = t0 + �

Time = t0 + �

(A)

(B)

(C)

2

Figure4 (A) The front edgeof radar pulseof length ctmoving left

to right reaches range r0 at time ¼ t0. (B) At time ¼ t0 þ t=2, the
front edge of the pulse reaches range r0 þ ct=2. Backscattered
energy from range r0 þ ct=2moves to the left. (C)At time t0 þ t, the
front edge of the radar pulse is at r0 þ ct. The backscattered

energy from the front edge of the pulse which was at r0 þ ct=2 at

time t0 þ t=2 is now at r0 and arrives back at the radar simultane-

ously with the backscattered energy from the back edge of the

pulse at r0 at time t0 þ t.
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scattered by each of the targets
Pn

i¼0 si. The summa-
tion of the backscattered cross-sections from precip-
itation scatterers in a unit volume is called the
reflectivity and is defined as

P
vol si. As individual

particles move with respect to one another within the
resolution volume, the phase of the individual back-
scattered signal changes between pulses, and the
summation of the signals varies slightly from
pulse to pulse. The received power is usually averaged
over 50 ormore consecutive pulses to yield an estimate
that is independent of the fluctuations. The final form
of the radar equation implemented in the signal
processors of precipitation radars combines eqns [5]
and [7] and substitutes the radar reflectivity in the
resolution volume, Vres

P
vol si, for s. The radar

processor calculates the averaged received power
from the set of scatterers within the resolution
volume at a particular range. Eqn [8] is a general
form of the radar equation valid for scatterers of all
sizes.

�PPr ¼ PtG
2l2yHyVct

1024ðln 2Þp2r2
X
vol

si ½8�

The ‘gate spacing’ parameter of the radar processor
controls the number and spacing of individual reflec-
tivity estimates along the radar beam. It can be set to a
value that combines the signal from several consecu-
tive resolution volumes to increase the effective
volume over which the averaged returned power is
computed (eqn [8]). In many radars, the pulse
length t, PRF, gate spacing, and the number of gates
sampled (i.e., maximum range) are variables that
can be modified by the radar operator. In scanning
radars, the radar operator also specifies the set of
elevation angles and range of azimuth angles to be
illuminated by the antenna. The specification of the
variable radar parameters is called the ‘radar scan
strategy’.

The spatial scale of the resolution volume is impor-
tant in interpreting radar data, since electromagnetic
sensors cannot distinguish the spatial distribution of
scatterers within a volume. Figure 5 shows six unit
resolution volumes containing different spatial
orientations of nine scatterers of the same material,
shape, and size. Since radar reflectivity (eqn [12]) is
only a function of the size and number of the scatterers
per unit volume, the radar reflectivity values for all six
volumes are equal. By convention, it is assumed that
the beam is filled with uniformly distributed scatterers
(Figure 5A). An important component of the radar
design process is the balancing of the spatial scale of
the features of interest and the physical characteristics
of the sensor that determine the scale of the resolution
volumes.

Association of Radar Signal to
Precipitation Characteristics

Radar Reflectivity of a Volume of Precipitation

To be of value in precipitation studies, the average
returned power measured by the radar must be related
to the physical characteristics of the precipitation
particles within the resolution volume. The backscat-
tering cross-section of a single water drop ðsdÞ
increases monotonically when the diameter D is less
than � l=16 according to [9], in which Kj j2 is the
complex index of refraction

sd ¼ p5

l4
Kj j2D6 ½9�

Eqn [9] is referred to as theRayleigh approximation of
the backscattering cross-section. When the diameter
of the drop, D, is greater than l=16, Mie or optical
scattering occurs. In contrast to Rayleigh scattering,
under conditions of Mie scattering, the backscattered
returned power fluctuates as the size of the scatterer
increases (Figure 6).

For precipitation applications, it is preferable to use
longer wavelengths to encompass as large a range of
raindrop diameters as possible within the scattering
regime where the Rayleigh approximation is valid. By
definition, raindrops have diameters40.2mm. Most
rainfall in mid-latitudes consists of raindropso5mm
in diameter. Drops as large as 7mm in diameter have
been observed but are rare since large drops are
unstable and tend to break up into smaller drops. The
maximum raindrop diameter for which the Rayleigh
approximation is valid is 6.25mm for 10 cm wave-
length and 3.13mm for 5 cmwavelength, respectively.

Replacing si with sd in eqn [8] yields the radar
equation for spherical drops under conditions when

(A) (B) (C)

(D) (E) (F)

Figure 5 Set of six unit resolution volumes with the same radar

reflectivity. All volumes contain the same number of identical

targets. The spatial distribution of targets within a resolution

volume is unknown and is usually assumed to be uniform.
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the Rayleigh approximation is valid (eqn [10]).

�PPr ¼ PtG
2l2yHyVct

512ð2 ln 2Þp2r2
X
vol

p5 Kj j2D6
i

l4
½10�

Eqn [10] can be rearranged, as in [11], to group the
numerical constants and parameters of the radar
hardware together to form the ‘radar constant’ ðCÞ.

�PPr ¼ PtG
2yHyVctp3

1024 ln 2l2

� �
Kj j2
r2

X
vol

D6
i

¼C
Kj j2
r2

X
vol

D6
i ½11�

The radar reflectivity factor ðZÞ is defined by
eqn [12].

Z ¼
X
vol

D6
i ¼

X
niD

6
i ¼

Z
NðDÞD6dD ½12�

The discrete formof the definition in themiddle is used
in calculating Z from in situ measurements such as
aircraft particle probes or disdrometers that resolve ni,
the number of drops per unit volume of atmosphere, in
several discrete diameter intervals. In the continuous
definition to the right,NðDÞ is the number of particles
per unit volume in the diameter range D to Dþ dD.

Rearranging eqn [11] yields the definition of Z in
units of mm6m� 3 in terms of variables measured by
the radar, and constants associated with the radar
hardware and a particular gate spacing (eqn [13]).

Z ¼
�PPrr

2

C Kj j2 ½13�

In evaluating eqn [13], a value is needed for Kj j2.
Precipitation particles consist of water, ice, or a
combination of the two. The complex index of
refraction, Kj j2, is 0.93 for water and 0.197 for ice.
Within a particular resolution volume of the radar, the
individual meteorological scatterers contributing toZ

Rayleigh region Mie or resonance region Optical
 region
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Figure6 Normalizedbackscattering cross-section areaof a perfectly conducting sphere as a function of circumferencedivided by radar

wavelength l. Since water drops are not perfectly conducting, the transition from Rayleigh to Mie scattering for the radar reflectivity of

spherical water drops occurs at 2pr=l � 0:2. (From Skolnik, 1990.)
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could be composed of water, ice, or melting ice. The
scatterers could also include nonmeteorological tar-
gets such as insects, birds, and chaff (i.e., highly
reflective man-made scatterers such as thin metal
strips). There is no current method to be certain of the
value of Kj j2. The convention is to assume that all the
scatterers are composed of liquid water and to define
the equivalent radar reflectivity factor Ze according
to [14].

Ze ¼
�PPrr

2

Cð0:93Þ ½14�

By this definition, a single spherical drop with a
diameter of 1mm within a 1 m3 volume of air has
Ze ¼ 1. Equivalent radar reflectivity factor is usually
expressed in dBZ such that dBZe ¼ 10 log10 ðZe=1Þ. It
is common usage to refer to the display of dBZe values
as ‘radar reflectivity’. It is usually specified in context
whether ‘radar reflectivity’ refers to dBZ or mm6m�3

values. The difference between 30 dBZ and 20dBZ is
10 dB, following the decibel convention. Typical
ranges of radar reflectivity values in different types
of precipitation are shown in Table 3.

The physical interpretation of radar reflectivity is
more complicated in regions of echo containing
mixed-phase particles than in regions containing
exclusively snow or rain. Partially melted ice particles
can have different electromagnetic properties com-
pared to equivalent-sized particles of only ice orwater.
When snow melts within a narrow layer, a reflectivity
maximum in the vertical associated with a concentra-
tion of partiallymelted particles can be discerned if the
observing radar has sufficient spatial resolution and
sensitivity.

Attenuation: Energy Losses along the Radar Beam

The path along the radar beam to the target resolution
volume and back to the radar contains air molecules
and possibly cloud and precipitation particles. These
particles absorb and scatter the radar energy, reducing
both the incident energy at the target and the

backscattered energy arriving at the radar compared
to what their values would be if the intervening
medium were free space. The total power extracted
from the wave is called attenuation, and is the sum of
the power absorbed and the power scattered by the
intervening particles. Attenuation is a function of
radar wavelength, and the size, shape, and composi-
tion of the intervening particles. Attenuation accumu-
lates as the wave moves from the radar to the target
and back from the target to the radar. Following Beer’s
Law, the incremental reduction in received powerwith
incremental distance ds caused by attenuation is given
by eqn [15], in which kLðsÞ is the attenuation coeffi-
cient (in units of inverse length) over an incremental
volume along a path centered at range s.

d�PPr

ds
¼ �2kL sð Þ�PPr ½15�

Although kLðsÞ is called a coefficient, it is not a
constant. Rather it represents the combined influences
of attenuation by gases, cloud, and precipitation at a
particular location described by range s. The factor 2 is
needed since the radar energy travels the same path
twice. The received power accounting for the attenu-
ation is the integral solution of eqn [15] from ranges 0
to r. This can be expressed as [16], in which �PPro is the
power that would have been received without atten-
uation.

�PPr ¼ �PPro exp �2

Z r

0

kL sð Þds
� �

½16�

Attenuation is often expressed as the ratio of the
attenuated received power to the nonattenuated
received power in units of dB km�1. By utilizing the
identity log10 X ¼ 0:434ðln XÞ and defining the speci-
fic attenuation as kðsÞ ¼ ð10 log10 eÞkLðsÞ ¼ 4:34kLðsÞ
in units of dB km�1, eqn [16] becomes [17].

10 log10
�PPr

�PPro

¼ 4:34 �2

Z r

0

kL sð Þds
� �

¼� 2

Z r

0

kðsÞ ds
½17�

The specific attenuation can also be defined in terms
of the drop size distribution, and the extinction cross-
section, seðDÞ, which represents the attenuation
contributed by a particular particle size D, using the
relationship [18], in which NðD; rÞdD is the number
density of hydrometeors per particle size interval dD
per unit volume within the incremental volume cen-
tered on range r.

kðrÞ ¼
Z 1

0

seðDÞNðD; rÞ dD ½18�

Table 3 Typical values of observed radar reflectivity in various

types of precipitation

Radar reflectivity (dBZ) Associated precipitation types

� 30 to 0 Marginally detectable precipitation

0 to 10 Drizzle, very light rain, light snow

10 to 30 Light to moderate rain and heavier

snow

30 to 60 Moderate to heavy rain

40 to 55 Graupel

55 to 70 Hail

30 to 50 Melting snow particles
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In practice, specific attenuation is often estimated as a
function of the equivalent reflectivity without atten-
uation ZeðrÞ. This can be represented by eqn [19], in
which a and b are coefficients which are a function of
the drop size distribution NðDÞ.

kðrÞ ¼ aZeðrÞb ½19�
Eqn [16] and the definition for kðsÞ can be incorpo-

rated into eqn [13] to yield eqn [20] for the radar
reflectivity factor in situationswhere the attenuation is
not negligible.

ZeðrÞ ¼
�PPrr

2

C Kj j2 exp 2

Z r

0

kL sð Þds
� �

¼ Prr
2

C Kj j2 exp
2a
4:34

Z r

0

ZeðsÞb ds
� �

½20�

At radar wavelengths, attenuation by atmospheric
gases is dominated by oxygen and water vapor
absorption. Gaseous attenuation varies with the radar
wavelength, path length, and depth of the troposphere
penetrated by the radar beam. Two-way gaseous
attenuation curves have been calculated using a
standard atmosphere for a range of radar beam
elevation angles and radar wavelengths. The overall
effect of gaseous attenuation is small at S-band and
C-band wavelengths, of order 0.01 dB km� 1 one way
for a 10 cm wavelength radar, but increases as wave-
length decreases. A correction for gaseous attenuation
is usually made automatically in the radar’s signal
processor.

The attenuation caused by cloud dropletso0.2mm
in diameter is dominated by absorption. For radar
wavelengths Z5 cm, attenuation by cloud particles is
sufficiently minimal to be ignored. For X-band and K-
band wavelengths, the one-way attenuation due to
cloud droplets is of the order of 0.1 dBkm� 1

per gm� 3 liquid water content and is of sufficient
magnitude to be of concern. However, unlike the
situation with gaseous attenuation, there is no stand-
ardmodel for the distribution of clouddroplets as their
distribution is discontinuous and chaotic. Because of
the complexities in estimating the actual distribution
of cloud particles along a particular radar beam, an
automatic correction for attenuation by cloud parti-
cles is difficult to implement.

Attenuation in rainfall and snow is a function of the
radar wavelength, temperature, particle type, and
particle-size distribution. The attenuation in rain can
be calculated as a function of reflectivity for specified
drop size distributions, temperatures, and radar
wavelengths as shown in Figure 7 and Table 4. At
reflectivities440dBZ, which can occur within heavy
rainfall, attenuation can become significant at C-band

and X-band. S-band energy can become significantly
attenuated when passing through regions containing
hail or exceptionally heavy rainfall ðZ >55dBZÞ.
Figure 8 shows a comparison of X-band and S-band
reflectivities obtained in a Florida squall line. While
both radars are in reasonable agreement regarding the
reflectivity pattern between the squall line and the
radar, there is a significant difference in the reflectivity
pattern behind the squall line. The attenuated X-band
radar reflectivities indicate a much smaller area of
precipitation and weaker intensities behind the squall
line compared to the nonattenuated S-band data.

Attenuation in rain is usually difficult to correct
automatically since the attenuation is a function of the

Table 4 Attenuation in rain for several wavelengths as a function

of radar reflectivity ðZ Þ at T ¼ 0�C (adapted from Battan, 1973)

Radar wavelength (cm) Specific attenuation in units

of dB km�1

2.0 7.15�10�4 Z 0.725

3.21 2.9� 10�4 Z 0.72

5.5 1.12�10�4 Z 0.62

10.0 3.0� 10�5 Z 0.62
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Figure 7 Specific attenuation versus radar reflectivity at l ¼ 3:2,

5, and 10 cm. Computations assume T ¼ 18�C and Laws and

Parson drop size distribution. (Adapted from Doviak and Zrnic,

1993.)

1840 RADAR / Precipitation Radar



real rain field that is imperfectly measured because of
attenuation. The rainfall attenuation correction is
sensitive to the actual distribution of reflectivity and
assumptions about the drop-size distributions along
the radar beam. Under special circumstances, such as
downward-pointing precipitation radars on aircraft
and satellites, a reference reflectivity such as the
reflectivity of the ocean surface can be used to estimate
path-integrated attenuation. Surface reference and
other methods to correct for attenuation at short
wavelengths are a topic of active research. The
reduction in reflectivity due to attenuation often has
to be accounted for in the data interpretation.

Location of the Radar Beam in the
Atmosphere

Standard Refraction

The classic formula for refraction is Snell’s Law,which
describes the bending of a light ray at the interface of
two media. The ratio of the incident velocity of the
wave ðViÞ to the refracted velocity of the wave ðVrÞ is
Vi=Vr ¼ sin i= sin r, where i is the angle of incidence
and r is the angle of refraction. In the Earth’s
atmosphere there is no interface, but the nonuniform
vertical distribution of water vapor pressure and

temperature refracts the radar beam, changing its
direction of propagation compared to a radar beam in
free space. The change in direction of the beam is
defined in terms of the vertical gradient of the index of
refraction dn=dh, where n ¼ c=v, h is height, c is the
speed of light, and v is the velocity of the wave in the
medium. At precipitation radar frequencies for a
standard atmosphere, dn=dh � �4�10�8 m�1, suffi-
ciently large to noticeably bend the radar beam
downward compared to its free-space path. The
negative value of dn=dh implies that v increases with
increasing height.

If the index of refraction were constant with height
or zero, the radar beam would curve upward with
increasing range relative to the surface of the Earth
because of the Earth’s curvature. Precipitation radar
data are usually interpreted in a ground-relative frame
of reference. The following equation ([21]) for the
height of the radar beam above the Earth’s surface ðhÞ
takes into account both the refraction by a standard
atmosphere and the curvature of the Earth.

h ffi h0 � 4

3
Rþ

ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
r2 þ 4

3
R

� �2
þ2r

4

3
R sin j

s
½21�

Here j is the elevation angle of the radar beam,
h0 is the height of the radar antenna, r is the range from

(A) X band reflectivities (B) S band reflectivities

dBZ

25 40 5510− 5

Figure 8 Comparison of X- and S-band radar reflectivities in a 1.51 elevation angle scan obtained from the dual-frequency NCAR CP-

2 radar on 9 August 1991 at 2013UTC near CapeCanaveral, Florida. The strong reflectivities within the squall line to the west of the radar

attenuate the X-band signal (A). TheS-band reflectivity data (B) reveal a larger area of precipitation behind the squall line than does the X-

band reflectivity data. Range rings are at 10 km intervals.
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the radar, and R is the radius of the Earth at the lati-
tude of interest. Figure 9 shows the radar beam paths
for the set of elevation angles used by the US
National Weather Service for scanning volumes of
precipitation.

Nonstandard Refraction

The vertical distribution ofwater vapor pressure in the
atmosphere is dependent on the vertical profiles of
temperature and relative humidity. When moisture
and/or temperature inversions are present, the vertical
gradients of water vapor pressure, temperature, and
the index of refraction differ from their standard
atmosphere values and nonstandard refraction, also
known as anomalous propagation, can occur. The
most common type of nonstandard refraction is
associated with a sharp vertical gradient in the index
of refraction. In these circumstances the propagation
pathof the radar beam is bent downwardmore sharply
than under standard atmosphere conditions. Figure 10
shows the ray paths in arc distance coordinates, where
a radar beam experiencing no refraction would be a
straight line. The 0.41 elevation angle ray path
traversing the inversion (solid line) is bent downward
compared to a standard atmosphere ray path (dashed
line). For very small elevation angles, nonstandard
refraction can bend the ray path into the Earth’s

surface (Figure 10). Meteorological conditions asso-
ciated with moisture and temperature inversions and
hence nonstandard refraction include: nocturnal ra-
diation cooling, advection of warm dry air over cooler
bodies of water, and deposition of cool moist air at the
surface by downdrafts in precipitating storms.

When the radar beam undergoes nonstandard
refraction, the height of the radar resolution volume
at a particular range is lower than it would be under
conditions of standard refraction. A radar beam
elevation angle that usually clears nearby mountain
peaks may intersect them under conditions of non-
standard refraction. A radar echo at a mountain peak
can be difficult to discern as a nonmeteorological echo
associated with anomalous propagation, as it is
common for orographic precipitation to form over
mountain peaks. In the extreme case, when the ray
path is pointed into the ground, a strong echo,
associated with the large cross-section of the Earth’s
surface, appears on the radar display.

An example of anomalous propagation associated
with a temperature inversion in the vicinity of
Amarillo, Texas, is shown in Figure 11A within a
0.51 elevation scan. The majority of echo to the north
and north west of the radar is nonmeteorological echo
due to anomalous propagation. In regimes where real
precipitation echoes usually have sufficient vertical
extent to be illuminated by higher elevation angles in
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Figure9 Radar beamcenter height (lines) andbeamwidth (shaded) relative to theEarth’s surfaceas a functionof slant range for theUS

National Weather Service precipitation scan strategy (11 radar beam width and elevation angles: 0.51, 1.451, 2.41, 3.351, 4.31, 6.01, 9.91,
14.61, 19.51). The radar location is indicated by the circle at 0 km height. Slant range refers to distance along the radar beam. Standard

atmospheric refraction and the Earth’s curvature have been taken into account to calculate the beam path following eqn [21].
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the radar volume scan, a comparison between the
lower and higher elevation angles can indicate a region
of anomalous propagation. Figure 11C shows the
elevation scan at 1.51 that contains a few isolated
regions of precipitation to the northwest of the radar
and a large region of precipitation between 60–2401
azimuth. An algorithm that removes echo that does
not have upward vertical continuity between consec-
utive elevation angles is applied in Figures 11B,D
to the two elevation scans and removes most of
the anomalous propagation. A characteristic of non-
meteorological echo associated with anomalous prop-
agation is that these echoes are relatively stationary
compared to echoes associated with precipitating
storms. A comparison of low elevation radar scans
from several consecutive times can often reveal
anomalous propagation. Automatic detection and
removal of nonmeteorological echo associated with
anomalous propagation is an area of ongoing research
and includes methods involving polarization radar
variables.

Polarization Variables Associated with
Precipitation Estimation

Small raindrops, o1mm in diameter, are spherical.
Larger raindrops are deformed by aerodynamics into
horizontally oriented oblate spheroids. An oblate
spheroid is the body of revolution formed when an
ellipse with minor axis dimension (a) and major axis

dimension (b) is rotated about its minor axis. Rain-
drops usually fall with their maximum dimension
oriented horizontally. This orientation may be tem-
porarily disturbed by turbulence, drop collision, or
aerodynamic instability. The ratio between the hori-
zontal and vertical dimensions of larger drops results
in different electromagnetic properties of the scattered
energy when the incident energy is horizontally versus
vertically polarized. A special type of precipitation
radar, called a polarimetric radar, is designed to
measure these properties by transmitting and receiving
radiation in more than one orientation. Ongoing
research has shown that polarization radar variables
involving the differential amplitude and phase
of the received power at orthogonal polarizations
can be related to the physical characteristics
of the precipitation.Of these variables, two commonly
used in precipitation applications are differential
reflectivity ðZDRÞ, related to the axis ratio of the
precipitation particles, and specific differential prop-
agation phase shift ðKDPÞ, related to liquid water
content.

Differential Reflectivity

To obtain radar reflectivity, energy is transmitted and
received at the same polarization, usually horizontal.
Differential reflectivity is the difference between the
horizontally transmitted, horizontally received reflec-
tivity factor ðZHHÞ and the vertically transmitted,
vertically received reflectivity factor ðZVVÞ. This is
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Figure 10 Ray paths (solid lines) in arc distance coordinates for radar beams of different elevation angles computed in an atmospheric

model with a surface-based temperature inversion to 100-m altitude. The arc distance is the great circle distance along the surface of a

spherewith a radius4/3 times that of theEarth.Thecurvatureof a spherewith a4/3Earth radiuscompensates for the standard refraction in

the atmosphere such that in a height–arc distance coordinate system, a standard atmosphere ray path (i.e., no inversion) is nearly a

straight line (dashed line). (From Doviak and Zrnic, 1993.)

RADAR / Precipitation Radar 1843



expressed in eqn [22].

ZDR ¼ 10 log10
ZHH

ZVV
½22�

Differential reflectivity is a measure of the reflectiv-
ity-weighted mean axis ratio ða=bÞ of precipitation
particles in a resolution volume. As raindrops increase
in volume,D increases, the shape of the drop becomes
more oblate, the axis ratio decreases, and the associ-
ated ZDR value increases. For spherical raindrops or
spherical ice particles, the axis ratio a=b ¼ 1 and
ZDR � 0. The exact functional relationship between

drop size and axis ratio in natural rain is a topic of
active research. Of particular importance to precipi-
tation studies is the capacity ofZDR obtained at nearly
horizontal elevation angles to distinguish among
regions containing rain, hail, and graupel, and the
layer of melting snow particles above the rain layer.
Table 5 presents typical ZDR values associated with
several basic precipitation types.ZDR is also a function
of the dielectric constant and hence composition of the
particle. For a given axis ratio, the ZDR value of a
raindropwill be larger than for an ice particle. Graupel
and hail particles are usually axially symmetric with
an associated ZDR value near zero. Negative values of

Observed After quality control

4025
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10−5 55
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190 km
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Figure 11 Example of anomalous propagation in a volume scan from the US National Weather Service WSR-88D radar at Amarillo,

Texas, on 25 May 1994 at 0029 UTC. The left column contains the observed data at 0.51 and 1.51 elevation angles and the right column

shows the data after an automatic correction is applied to removemost of the anomalous propagation. The low level scan at 0.51 in (A) has
a large area of nonmeteorological echo to the north and north west associated with anomalous propagation. See text for further details.
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ZDR have been reported for regions containing hail
and graupel, but the detailed physics underlying these
measurements is not well understood. Melting snow
appears to the radar as large particles with the
dielectric properties of water. These particles often
have very large axis ratios and large ZDR values.

Differential reflectivity is independentof the absolute
radar calibration since it is the difference betweenZHH

and ZVV, but it is sensitive to relative calibration. In
practice, ZHH and ZVV are often measured by parallel
hardware with different calibration constants, necessi-
tating two calibration measurements. When viewed
vertically, raindrops of all sizes appear circular and
have an associatedZDR value equal to zero.AZDR bias,
accounting for the relative difference in calibration
between the H and V polarizations can be estimated by
pointing the radar beam directly upward in rain.

Differential Phase Variables

As an electromagnetic wave traverses a precipitation-
filled volume, incident energy is scattered back toward
the radar and forward along the beam. The forward
scattered (propagated) component of the wave be-
comes shifted compared to the free-space component
of the wave transmitted from the radar. Within
horizontally oblate raindrops, the propagating hori-
zontally polarized wave undergoes a larger phase shift
per unit length and travels more slowly than the
vertically polarized wave. After passing through a
volume filled with horizontally oblate raindrops, the
horizontally polarized wave will have a larger prop-
agation phase shift than the vertically polarized wave
(Figure 12). The one-way differential propagation
phase ðfDPÞ is defined in eqn [23] as the difference
between the propagation phase shift of the horizon-
tally transmitted, horizontally received energy ðfHHÞ,
and the propagation phase of the vertically transmit-
ted, vertically received energy ðfVVÞ.

fDP ¼ fHH � fVV ½23�

As the radarwave traverses a region of precipitation
filled with oblate drops, fDP accumulates with in-

creasing range. To remove range effects, fDP is
differentiated with respect to r to yield specific
differential propagation phase ðKDPÞ in units of
deg km�1 (eqn [24]).

KDP ¼ dfDP

dr
½24�

Often measurements of fDP are noisy and KDP is
integrated over several kilometers to obtain a usable
signal.

KDP values can be related to the liquid content and
axis ratio of the drop by eqn [25], in which Dm is the
maximum drop size, a=b is the axis ratio, and Cj is an
empirically determined constant which is 0.5987 for
l ¼ 3:21 cm and 0.05717 for l ¼ 10:71 cm.

KDP ¼ l
Z Dm

0

D3Cjð1� a=bÞNðDÞ dD ½25�

The inverse proportionality of the constant Cj to
wavelength outweighs the l term in eqn [25] such that
for a given liquid water content, KDP increases with
decreasing radar wavelength within the precipitation
radar frequency band. KDP is not affected by attenu-
ation since it is based on themeasurement of the phase
shift of the wave rather than the amplitude of the
returned power. This basis on phase shift allows aKDP

signal to be obtained when the radar beam is partially
blocked, such as in mountainous terrain. Applications
of KDP include distinguishing the rain portion of rain/
hail mixtures and estimating the liquid water content
of oblate raindrops. A disadvantage of KDP is its
insensitivity to precipitation composed of small spher-
ical raindrops, where Do1mm and a=b ¼ 1, associ-
atedwith low liquidwater contents and low rain rates.
Table 6 presents typical S-band KDP values of several
basic precipitation types.

Precipitation Characterization and
Estimation from Radar Data

Small-Scale Storm Structure

The two- and three-dimensional spatial and temporal
patterns of radar-observed variables contain valuable
information about storm structure and evolution that
is used in many types of precipitation forecasting and
research applications. In regions of vigorous upward
motion, precipitation particles increase their mass
primarily by accretion of smaller ice and water
particles. These precipitation particles fall out as
localized heavy showers, typically a few 100m to
5 km in horizontal dimension, and appear on radar as
localized vertically oriented regions of enhanced
reflectivity called cells (Figure 13A). In mature and

Table5 Typical rangesof observeddifferential reflectivity values

in several types of precipitation (adapted from Doviak and Zrnic,

1993; Straka et al., 2000)

Differential reflectivity (dB) Associated precipitation types

� 0.5 to 0.5 Marginally detectable precipitation

� 0.5 to 0.5 Drizzle, very light rain, light snow

41 Moderate rain and heavier snow

0.5 to 4 Moderate to heavy rain

� 2 to 0.5 Hail and graupel

0.5 to 4 Melting snow particles
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decaying convection, vertical motions are weaker, and
precipitation particles may grow by vapor deposition.
The associated radar echo has weak horizontal gradi-
ents of reflectivity and may exhibit a horizontal layer
of enhanced reflectivities called the radar ‘bright
band’ associated with a layer of melting particles
(Figure 13B).

Figure 14 shows high spatial resolution X-band
radar reflectivity data obtained by an aircraft radar
over the tropical PacificOcean. The vertically oriented
reflectivity maximum is tilted by a sloping updraft
within the cell. A faint radar bright band is discernible
to the right of the cell where ice particles generated in
the cell are falling in an environment of weak vertical

velocity and melting in a thin layer. Detection of the
bright band by radar is a function of both the physical
properties of the melting layer and the sensitivity and
spatial resolution of the radar. In radars with coarser
spatial resolution, a weak bright band, as shown in
Figure 14, would not be detectable.

Rainfall Mapping with Precipitation Radar: Role of
the Raindrop Size Distribution

As described in the sections above, measured precip-
itation radar variables can be related to several
parameters of the raindrop size distribution NðDÞ.
The raindrop size distribution is generally accepted to
be a truncated exponential function of the form [26],

Direction of wave propagation

H

V

H

V

H

V

H

V

�DP ≠ 0

�DP = 0

Time

Amplitude

(A)

(B)

Figure 12 Sketch of the propagation phase shift of horizontally and vertically polarized electromagnetic waves passing through a

precipitation-filled volume. For simplicity, the horizontally (H) and vertically (V) polarizedwavesare assumed to be in phaseprior to entering

the volume. (A)When the waves encounter horizontally oblate raindrops, the phase of the horizontally polarized wave is shiftedmore than

the vertically polarized wave. (B) When the waves encounter spherical particles such as small raindrops or hail, the horizontally polarized

wave and vertically polarized wave are shifted the same amount and fDP ¼ 0.

1846 RADAR / Precipitation Radar



in which D is the diameter of a spherical drop with
volume equal to that of the actual raindrop, m has a
value between –3 and 8, Do is the median volume
diameter of the distribution, and No is a function of
Do; m, and the total drop concentration.

NðDÞ ¼ NoD
m exp ð�3:67D=DoÞ ½26�

Drop size distributions and drop shapes have been
measured and modeled. These studies have yielded a
range of values for and a range of relationships among
No;Do; m, and the drop axis ratio as a function of D.
These uncertainties translate into uncertainties in
relations among parameters of NðDÞ.

Moments of the drop size distribution (DSD) can be
related to one another by an equation of the form
y ¼ axb, where x and y are different moments of the

DSD, and a and b are real-valued coefficients. Table 7
lists severalmoments of theDSD.Themost commonly
applied association between moments of the DSD is
theZ–R relation,which translates the variability of the
DSD as measured by the radar in terms of Z in
mm6m�3, into variability in terms of the desired
quantity R in mmh�1. The Z–R relation is tradition-
ally expressed in the form Z ¼ aRb, although Z is the
independent variable. Figure 15 shows a plot of four
commonly used Z–R mappings based on different
empirical data sets, methodologies, and assumptions
regarding the coefficients in eqn [26]. The Z-condi-
tional relative uncertainty in rain rate varies from
� 10–50% as a function of Z for the four Z–R
relationships in Figure 15. These Z-conditional un-
certainties represent a combination of several error
sources and differences in precipitation among re-
gions. Z–R methods usually truncate input Z at
� 55dBZ to mitigate large errors in estimated rain
rate associated with hail.

Alternate methods to map rainfall using S-band and
C-band radar data utilize measurements of ZDR and
KDP in addition to, or in place of, Z. KDP is related to
the fourth moment of the DSD and can be used to
estimate R using a power law of the form y ¼ axb.
Other methods employ several simultaneously meas-
ured parameters of the DSD to constrain the coeffi-
cients in eqn [26]. The derived DSD is used in turn to
estimate the desired parameter R. Several assump-
tions, with attendant uncertainties, are needed to
make the associations among the polarimetric radar-
measured bulk properties and the functional form of
the DSD. Use of either ZDR or KDP to constrain the
DSD coefficients requires assumptions about the drop
axis ratio as a function of D. Neither ZDR nor KDP is
sensitive to the small spherical drops within the DSD,
so the distribution of the smaller drops must be
assumed as a function of the derived distribution of the
larger oblate drops. Additional assumptions regarding
the variability of the coefficients in the DSD, partic-
ularly m, are often utilized.

Practical Issues Contributing to Rain Map
Uncertainty

The quantitative estimation of errors associated with
rain mapping from radar data is severely hampered by
the lack of an independent, precise, and accurate value
with which to compare, and by rapidly changing
conditions within precipitating storms that make it
difficult to repeat a measurement under the same
conditions. The discussion of uncertainty in rain
mapping below is in terms of independent sources of
random and systematic error (Table 8) for Z–R
relations. Error sources for polarimetric methods
are similar with a few exceptions. ZDR and KDP

Table 6 Typical ranges of observed S-band KDP values in

several precipitation types (adapted from Doviak and Zrnic, 1993;

Straka et al., 2000; Bringi and Chandrasekar, 2001)

KDP (deg km�1) Precipitation types

� 0.5 to 0.5 Marginally detectable precipitation

� 0.5 to 0.5 Drizzle, very light rain, snow

� 0.5 to 1 Moderate rain

0.5 to 5 Moderate to heavy rain

� 0.5 to 1 Hail

� 0.5 to 1 Melting snow particles

(B)

Weak horizontal gradients

Horizontal distance 

Fallstreaks

Bright
band

Maxima of
reflectivity

(A) Horizontal distance 

Figure13 Schematics of radar echo for vigorous convective and

mature and decaying convection. (A) Vertical cross-section of

vertically oriented reflectivity maxima associated with vigorous

convection. (B) Vertical cross-section of layered reflectivity struc-

ture associated with mature and decaying convection. Fallstreak

particle trajectories and reflectivity signatures tend to curve in

vertical cross-section as a result of the combination of horizontal

wind and particle descent. Darker shading indicates progressively

higher radar reflectivity value. (FromHouze, 1997, with permission

of the American Meteorological Society.)
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measurements are not biased by the presence of hail.
KDP is not influenced by attenuation. Both ZDR and
KDP are sensitive to mild nonstandard refraction such
that the height of the radar beam is lower in the
atmosphere compared to its height in a standard
atmosphere.Methods using polarimetric variables can
detect when the nonstandard refraction is sufficiently
strong such that the radar beam intersects the ground.

Random errors The relative movement of individual
scatterers within the resolution volume produces
fluctuations in �PPr. Additionally, noise is associated
with the receiver hardware. Individual samples of Pr

containing these noise sources must be averaged to
determine �PPr within an acceptable uncertainty. The

degree of independence between consecutive samples
is a function of the radar’swavelength, PRF, resolution
volume size, and the spread of velocities within the
resolution volume. For typical precipitation radars,
consecutive samples are usually not independent. At
higher PRFs, more samples are needed to yield an
equivalent number of independent samples compared
to a lower PRF. These constraints lead to compromises
between PRF and scan rate (number of samples per
angular degree scanned) toobtain the precisionneeded
for the application. Many operational precipitation
radars have a precision of � 1 dB.

Persistent systematic errors The largest potential
source of systematic error in precipitation estimates
derived from radar reflectivity is often calibration.
Most precipitation radars are calibrated at installa-
tion. The absolute radar calibration can change as a
result of aging of the hardware components, thermal
effects, and component repair and replacement. The
calibration bias changes are often gradual and difficult
to detect without regular comparison to a calibration
standard. Large calibration biases of 5 dB or more
(4100% error in rain rate) are common in some
operational radar networks. Careful calibration with
a standard noise source can yield accuracies to within
� 2dB (� 40% error in rain rate). Calibration bias can
also be estimated by comparing radar reflectivity data
to suitable sample sizes of independent measurements
such as: spatially scaled and temporally averaged
point measurements of rainfall, reflectivity from
a well-calibrated radar for matching volumes of
atmosphere, or polarization measurements such as

20
300

20124− 4 28 36 44 dBZ

H
eight

Range

Figure 14 X-band radar cross-section through a vigorous convective cell in the tropical western Pacific warm pool obtained by NOAA

WP-3D aircraft on 15 December 1992 at 2046 UTC. Range rings are at 10 km intervals and the radar gate spacing is 75m. A faint radar

bright band is indicated to the right of the convective cell. Reflectivities behind the cell (to the left) are attenuated.

Table 7 Moments of the drop size distribution related to rainfall

estimation

Measured or estimated

property

Functional form in terms

of N(D)

Total drop concentration

(m� 3)

Nt ¼
R1
0 NðDÞ dD

Radar reflectivity factor

(mm6m�3)

Z ¼ R10 NðDÞD6 dD

Liquid water content

(mm3m�3)

W ¼ p
6

R1
0 NðDÞD3 dD

Rainfall rate (mm h�1) R ¼ 3:6p
6000

�R10 NðDÞD3V ðD ;T ;PÞ dD in which

V ðD;T ;PÞ is the particle fall speed,
which is a functionof thediameter of

the particles, air temperature, and

pressure.
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KDP, that are independent of the power calibration of
the radar.

Another source of systematic error is associated
with the changes in the DSD between the lowest
available radar measurement and the ground. These
variations are dependent on precipitation structure
and typically vary in magnitude from 0 to � 3
dBkm�1. The magnitude of these errors increases
with range when the variation with height is nonzero,
since the height of the radar beam above the ground
increases with increasing range (i.e., Figure 9). This
type of error can be corrected using suitable vertical
profiles of reflectivity or rain rate associated with the
precipitation and storm type at each pixel. Errors
associated with changes in DSD with height can be
either positive or negative. Drier air at low levels may
evaporate precipitation up to 100% and light rain
falling through low stratus or fog may be enhanced up
to 25%.

Ground clutter and shielding interfere with radar-
derived rainfall mapping since a reliable estimate of
returned power from meteorological targets is not
available for the affected regions.Once identified, data
corresponding to resolution volumes containing
ground clutter from hills, buildings, towers, and trees
close to the radar are usually set to ‘missing’ or ‘not
available’. Nearby mountains can block the radar
beam, completely shielding the regions behind them.
For radars sited in mountainous regions, a substantial
portion of the potential 3601 radar coverage area may
be shielded. In instances where the beam is only
partially blocked, a phase measurement such as KDP

may be used to estimate rain rate contingent on the
limitations of that variable.

Systematic errors associated with intermittent condi-
tions The existence and magnitude of some types of
systematic error are a function of whether specific
intermittent conditions are present. If these conditions
are recognized, the bias in rain rate associated with
them can be corrected. The identification within a
radar scan of such intermittent conditions is an active
area of research. Severe anomalous propagation can
be identified and mild anomalous propagation can be
corrected if atmospheric soundings are available.
The high bias in rain rate associated with mistaking the
reflectivity of hail for that of rain can be corrected if the
hail is identified by use of a ZDR or KDP measurement.

If reflectivities within the melting layer are used as
input to a Z–R relation for rain, the rain rates will be
overestimated. The electromagnetic properties of
melting particles increase the reflectivity signal by
several dB compared to the reflectivity of the equiv-
alent completely melted particles. These errors can be
large, even when only a portion of the radar beam
intersects the melting layer.

Other intermittent conditions associated with sys-
tematic errors are harder to identify, such as non-
meteorological echo from migrating birds. Uncertain-
ties in rainfall mapping are also associated with
downdrafts and updrafts since the relations between
moments of the DSD, such as a Z–R relation, are
usually derived for still air conditions. In the presence
of strong downdrafts, the fall speed of raindrops is
increased relative to a stationary horizontal surface.
For a given instantaneous reflectivity, apparent rain
rate over a finite interval of time is increased from its
still air value. The opposite is true for updrafts. At low
levels, regions of high reflectivity are almost always
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Figure 15 Plot of reflectivity versus rain rate for several Z–R relations: Marshall–Palmer ðZ ¼ 220R1:6Þ, GATE ðZ ¼ 230R1:25Þ, Swiss
Meteorological Agency default (SMA, Z ¼ 315R1:5), and the US National Weather Service default (USNWS, Z ¼ 300R1:4).
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associated with downdrafts. Since radar data used for
estimating rainfall is usually obtained at low levels,
downdrafts prevail over updrafts as a source of
systematic error in rainfall estimation.

Two types of attenuation can impact radar-rainfall
mapping: attenuation of the radar signal by hydro-
meteors in the atmosphere as described above, and
attenuation caused by wetting of the radome covering
the radar’s antenna. The latter type includes both a
power loss and a phase shift. The variability of the
water film on the radome makes wet radome attenu-
ation difficult to correct.

Other potential sources of uncertainty Uncertainty
in rain mapping associated with beam filling is not

related to a systematic error in measured reflectivity.
Rather it is a result of the breakdown of the uniformly
filled beam assumption used to interpret electromag-
netic sensor data. For example, when an isolated
1 km3 raining cell is contained within an otherwise
empty 8 km3 resolution volume, the measured reflec-
tivity for the entire resolution volume will be much
smaller than the reflectivity within the isolated raining
cell. When the resolution volume is not uniformly
filled (i.e., rain is not homogeneous in the volume), an
uncertainty arises when computing the average rain
rate from the average reflectivity. The reason is that
while y ¼ axb; �yy 6¼ a�xxb for b 6¼ 1, as is usually the case
for Z–R relations. This type of uncertainty is of
concern when computing R from Z for volumes that

Table 8 Factors contributing to uncertainties in rainfall mapping from precipitation radar data. The magnitude of the effects is for

operational scanning radars with typical resolution volumes of 1 km3. The trend in uncertainty with increasing range is defined in terms of

the same meteorological or nonmeteorological circumstance being present at closer versus farther ranges from the radar (adapted with

permission of the American Meteorological Society from Austin, 1987)

Type of error Factor Nature of effect and situations where

it is significant

Trend of uncertainty with

increasing range from radar

Noise Precision of measured �PPr Varies with PRF and scan rate; typically

� 1 dB

Not a function of range

Persistent bias Calibration of �PPr Typically � 2 dB for calibrated radars;

depends on priorities and resources

Not a function of range

Persistent bias Changes in DSD between lowest

radar measurement and the

surface

Varies between 0 and 3 dBkm� 1 depending

on vertical structure of precipitation

Generally increaseswith height

difference between lowest

radar beam and the ground;

increases with range

Persistent bias Ground clutter and beam blockage Varies with radar site and its relation to

regional geography

Shielded area increases with

increasing range

Intermittent bias Signal enhancement by melting

particles

Partially melted particles have Z values

1–5dB larger than completely melted

particles

Effect limited to ranges where

radar beam intersects

melting layer

Intermittent bias Anomalous propagation Associated with temperature and moisture

inversions. Changes beam height in

relation to its standard atmosphere value.

In extreme, beam intersects ground

yielding high Z value

Magnitude increases with

smaller beam elevation

angles, increasing range,

and increasing strength of

inversion

Intermittent bias Nonmeteorological echo such as

sea clutter, birds, and insects

Increases Z above its meteorological value.

In extreme, indicates presence of heavy

rain when there is none present

Generally decreases with

range, as beam is located

higher from near surface

sources

Intermittent bias Presence of hail Increases measured Z to value 4–10dB

higher than that of associated rainfall

Decreases once resolution

volumebecomes larger than

pocket of hail

Intermittent bias Strong downdrafts Increase R for same Z . Equivalent to

reducing Z by 3–5dB

Decreases once resolution

volumebecomes larger than

downdraft

Intermittent bias Attenuation Reduces measured Z from its actual value.

Increases with decreasing wavelength.

Varies with distribution of precipitation

along radar beam

Accumulates with range

Intermittent bias Z -conditional variations in theDSD Often difficult to isolate from other systematic

errors. Uncertainty equivalent to variations

in Z � 2:5dB

Decreases with increasing size

of resolution volume
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are larger than the scale of the rainfall variability and
when comparing different moments of the DSD
obtained at different spatial resolutions, for example,
ground-based radar and satellite passive microwave
measurements, or radar and rain gauge data.

Evaluation of Radar-Derived Rain Maps

Independent evaluation of radar-derived rain maps
using surface in situmeasurements such as rain gauges
and disdrometers have several sources of uncertainty.
Sample volume sizes observed by precipitation radar
are often � 107–109 times as large as those observed
by a rain gauge or disdrometer. The combinationof the
scale variance of radar-measured variables and the use
of measurements obtained at different scales yields
large uncertainties. Variation of DSD with height
contributes additional systematic error in direct com-
parisons between radar data above the surface and
surface instrumentation. An assumption is usually
made relating the nearly instantaneous radar meas-
urement aloft to a time interval of the surface
measurements below. Even when the rain gauge and
radar are well sited and calibrated, discrepancies in
rainfall estimates are often large. Gauge-to-radar
discrepancies can increase with increasing small-scale
variance of rainfall, e.g., isolated showers compared to
widespread precipitation. A multiyear comparison of
daily rain gauge versus radar-derived rain rates in
Switzerland yielded an average error of � 100%
(equivalent to � 4:5dBZ) for areas of 1 km2. Error
magnitude, in terms of standard deviation, is inversely
proportional to the square root of the number of
independent samples. Shortening the time interval for
comparison between radar and rain gauge from 1 day
to 1 h increases uncertainty in the surface point
measurements by approximately a factor of 5 (i.e.,
1=

ffiffiffiffiffiffiffiffiffiffiffi
1=24

p
). Alternatively, use of 30 day rainfall totals

instead of daily totals from a single gauge or use of
daily totals from 30 radar-gauge pairs decreases un-
certainty by a factor of � 5 (i.e., 1=

ffiffiffiffiffiffi
30

p
).

To be useful in evaluation of radar-derived quanti-
tative precipitation estimates, the systematic and
random errors in the independent estimate need to
be smaller than the systematic and random errors in
the radar-derived estimate. Suitably large, averaged
data sets of surface rain gauge and disdrometer
measurements have been successfully used to evaluate
corrections for large sources of error in radar-rainfall
mapping such as calibration offsets, the variation of
DSD with height, and the presence of nonrain hydro-
meteors such as hail and the melting layer. However,
smaller magnitude uncertainties, such as the real-time
Z-conditional variation of DSD, are difficult to isolate
and quantify using rain gauge and disdrometer
networks since very extensive networks are required.

See also

Radar: Cloud Radar; Doppler Radar; Incoherent Scatter
Radar; MST and ST Radars and Wind Profilers; Meteor
Radar; Synthetic Aperture Radar (Land Surface Applica-
tions).
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Introduction

Synthetic aperture radar (SAR) images are produced
by anactive system that sends amicrowave signal from

a sensor platform to the ground and detects backscat-
tered waves that the ground reflects directly back to a
receiver on the same platform, which can be borne
aloft by either airplanes or satellites. When the source
and receiver are on the same platform, the radar is said
to be monostatic. If the source and receiver are on
different platforms, the radar is said to be bistatic.
Commercial SAR systems are monostatic and always
collect images to the side of the flight path of the sensor
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platform, unlike most multispectral imaging systems,
which commonly look straight down and are passive
(consisting only of receivers of reflected sunlight and
emitted thermal infrared radiation). Figure 1 demon-
strates these three different viewing geometries.

Although the currently available commercial SAR
satellites, ERS-1 and Radarsat, each send and receive
only one frequency of microwaves, it is possible to
build multifrequency SAR systems that send and
receive several frequency ranges of radar signals
simultaneously, similar to the way multispectral scan-
ners collect several spectral bands of visible, reflective
infrared, and thermal infrared wavelengths simulta-
neously. SAR systems that send out both horizontally
and vertically polarized microwaves and receive both
the horizontally and vertically polarized reflected
components of each type of incident signal on the
ground are called multipolarization radars. Most
multispectral systems ignore polarization measure-
ments of reflected sunlight and emitted thermal
infrared radiation, although both are present in the
passive signals coming from the ground. This article is
devoted to applications of multifrequency and multi-
polarization radar, which have been used much less
frequently than monofrequency SAR data in the past.
However, future uses of multifrequency and multipo-
larization SAR systems are likely to increase, owing
to their greater information content compared to
monofrequency SAR systems, as this article will
demonstrate.

Comparison of Multifrequency SAR
with Multispectral, Short-Wavelength
Images

Visible wavelengths (0.40–0.67 mm) of electromag-
netic radiation from sunlight interact with the outer
electron shells of transition metal ions in pigments,
and thermal infrared wavelengths (4–14 mm) of heat

emitted from objects on the Earth’s surface interact
with ions bound in crystalline lattices (Vincent, 1997).
Thus, variations in the way electromagnetic radiation
is reflected from or emitted by an object on the Earth’s
surface as a function of wavelength yield information
about the chemical composition of the object, though
visible light tells mostly about trace element content
and thermal infrared radiation tells more about the
bulk chemistry of the object. SAR systems employ
microwave wavelengths (in the centimeter-to-meter
range) that are at least 1000 times longer than even
thermal infrared radiation, so radar waves cannot
interact well either with pigments or with the crystal-
line structure of natural materials. Consequently,
radar images contain much less information about
chemical composition of an observed object than do
either thermal or visible images.

However, radar images are much more sensitive
than infrared or visible images to two parameters of an
observed object: water content and physical extent
(size and shape) of the object. These are the parameters
for which microwaves (and radar images) have an
advantage over all other wavelengths of electromag-
netic radiation. Before they are discussed in the next
two sections, however, it is instructive to review the
relationship between wavelength and frequency for
electromagnetic radiation, of which microwaves are
examples. From the elementary physics equation of
distance equals the velocity� time (or period, which is
the reciprocal of the frequency), the relationship
betweenwavelength and frequency of electromagnetic
waves is given by eqn [1].

l ¼ c

n
¼ 30�109 ðcm s�1Þ

n ðs�1Þ ½1�

where n is the frequency in cycles per second, or hertz,
and c is the velocity of light (here in cm s�1), which is
the velocity at which all electromagnetic waves travel,
including microwaves. For example, a microwave of

R S S,R
R

(A) (B) (C)

Figure 1 Viewing geometry for signal source (S) and receiver (R) for (A) bistatic radar, where source and receiver are on different

platforms (any angle between S and R is acceptable, as long as R and S are both above the ground); (B) monostatic radar, where source

and receiver are on the same platform; (C) passive receiver for visible/infrared sensors of a LANDSAT satellite.
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frequency 1 gigahertz (109 hertz or 1GHz) has a
wavelength of 30 cm (within the range of L-band
radar), and amicrowave of frequency of 10GHz has a
wavelength of 3 cm (within the range of X-band
radar). Thus, multifrequency (many frequencies) and
multispectral (many wavelengths) are synonymous
adjectives of radar.

The Effect of Water Content of an
ObservedObject onRadarBackscatter

Because water has a very high dielectric constant for
most microwave wavelengths, it reflects microwaves
very efficiently as a specular reflector, i.e., such that
most reflection is off the first surface and the angle of
reflectance equals the angle of incidence. Calm,
standing water reflects almost all incident microwaves
forward at the specular angle (equal to the angle of
incidence), and reflects almost none of them in the

direct backscatter direction (where the receiver is
located for SAR images), which makes calm water
appear very dark in SAR images, regardless of the
wavelength or frequency of the radar.

The effect of variations in water content of soils, or
soil moisture (located above the water table), on radar
backscatter is not as simple as in the case of standing
water. Fortunately, this subject has been well addre-
ssed in a paper by Mancini and colleagues (see
Further Reading) that reports on a laboratory experi-
ment on the use of active microwave observations to
estimate volumetric soil moisture content within an
accuracy of 5%. A sandy loam with two surfaces
(smooth and rough) was wetted and dried to generate
different soil moisture profiles (with depth), and radar
measurements were made at three different incidence
angles (111, 231, and 351) over a frequency range from
1 to 10GHz, with an 11.25MHz step in frequency.
Figure 2 shows the resulting plots of radar backscatter
coefficient versus frequency of the microwaves for
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Figure 2 Radar data for smooth and rough surfaces with the extreme moisture conditions for 111 incidence angle and 351 incidence
angle. (After Mancini et al. (1999).)
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both rough and smooth surfaces of the sandy loam at
111 and 351 angles of incidence, where w14 refers to
the end of a wetting profile (water being added) that
resulted in a 22.9%moisture content at 2.5 cm depth;
d13 is a drying profile (water being removed by
evaporation) ending with a 1.9% moisture content at
a depth of 2.5 cm; w22 is a wetting profile ending with
a17.8%moisture content of 10.6%at adepth of 4 cm;
and d26 is a drying profile ending with a moisture
content of 10.6% at a depth of 4 cm.

Although the two left-most plots in Figure 2(A) and
(C) demonstrate that at an angle of incidence of 111
there is a large difference between wet and dry soils,
they also demonstrate that there is little frequency
dependence in that difference. Thus, for an incidence
angle of 111 (relatively small incidence angles), it is
possible to determine soil moisture equally well at all
frequencies. Multifrequency radar offers no advan-
tage for soil moisture estimations from SAR measure-
ments. However, the absolute value of the ratio of the
difference between the backscatter coefficients at
5GHz and 2.5GHz and the sum of the same two
backscatter coefficients ismuch greater for the smooth
surface than for the rough surface for all reported
values of soil moisture. This indicates that multifre-
quency radar at low incidence angles could be used to
determine relative surface roughness, regardless of soil
moisture.

The top-right plot in Figure 2(B) shows that when
smooth surfaces are viewed at higher incidence angles
(351 in this case), specular reflection dominates
volume reflection for frequencies greater than
6GHz, and soil moisture no longer has much effect
on the backscatter coefficient. Volume reflection
dominates the rough surface reflection at an incidence
of 351, just as it did with both the smooth and rough
samples of the 111 incidence measurements. In all
cases above, wetter soils return more backscattered
microwaves than drier soils at all frequencies, for a
given surface roughness and incidence angle. When
volume reflectiondominates, as it does in all ofFigure 2
except for the smooth, 351 incidence case (B), back-
scatter rises with increasing frequency, up to approx-
imately 5GHz. Lower incidence angles correspond to
higher direct backscatter. The greatest signal return
from soils, wet or dry, toward a monostatic radar
receiver can be obtained by a low incidence angle and a
frequency of approximately 5GHz, as indicated by the
results of the study of Mancini and colleagues.

Another feature in Figure 2 is the oscillatory pattern
in the backscatter coefficient as a function of frequen-
cy, which is especially obvious in the lower left plot (C)
for a rough surface viewed at an incidence angle of 111.
Mancini and colleagues claim that this is not caused by
noise and state that it might be caused by the volume

scattering component of the reflectance interfering
with the specular reflectance component from the
surface. If so, it would be possible to relate this
oscillation to an observation depth, as discussed by
Troch and colleagues. Therefore,multifrequency radar
may be able to determine the observation depth of a
soil through the oscillatory nature of the backscatter
coefficient as a function of frequency.More research is
needed to confirm this potentially important applica-
tion of multifrequency radar.

The Effect of Size and Shape of an
ObservedObject onRadarBackscatter

The second parameter for which radar is more
sensitive than visible or infrared radiation is the
physical extent (size and shape) of an observed object.
In geological terms, size is the difference between
gravel, cobblestones, and boulders on the surface.
When the object is a layer of soil or rock, the thickness
of the layer is considered to be its ‘size’. Visible and
reflective infrared electromagnetic radiation have
wavelengths of the order of 0.5–4.0 mm, within the
size-range of clay-sized particles but not of sand-sized
grains (about 60–1000 mm in size). Penetration of an
electromagnetic wave into typical Earthmaterials will
be on the order of a few wavelengths, which means
that visible and infrared radiation typically penetrate
rocks and soils less than the diameter of a human hair,
which is approximately 100 mm. Microwaves, how-
ever, have much longer wavelengths than visible and
infrared radiation, on the order of 1 cm to 1m. They
can interact with the shapes and sizes of gravel,
cobbles, and boulders in different ways, depending on
whether thewavelength of themicrowaves selected for
the radar are X-band (about 3 cm), L-band (about
30 cm), or P-band (about 70 cm).Microwaves can also
penetrate dry soils to depths of meters, with greater
penetration by longer-wavelength radiation.

LouisDellwig reported on the earliest investigations
into the application of multifrequency radar to geo-
logical mapping more than three decades ago. He
compared airborne radar images of K-band (sub-cm),
Ka-band (0.84 cm), C-band (6.73 cm), and P-band
(70 cm) wavelengths, collected at different times over
an arid area near Pisgah Crater, California. He made
two significant observations from the multifrequency
radar data set. First, he noted thatwindblown silts and
sands were penetrated by the long-wavelength radar
(P-band), which was reflected by the partly buried
basaltic lava underneath. The shorter-wavelength
radar did not penetrate these aeolian deposits. Second,
he noted that an alluvial fan with a surface composed
of rock fragments that were mostly (85%) less than
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5 cm in diameter was dark-toned (smooth) in the
P-band radar image, but was bright and well defined
(rough) on the K-band radar image. This investigation
ably demonstrated that longer-wavelength radars
penetrate deeper and are largely unaffected by pebbles
and cobbles at the surface.

My PhD thesis was in this same Pisgah Crater area;
and in 1972, Ben Drake (a fellow geologist at Willow
Run Laboratories of the University of Michigan,
which became ERIM in January of 1973) and I field-
tested simultaneously collected X-band and L-band
images of the Lavic Lake region. At dark spots on the
L-band images (where nothing appeared in theX-band
images) we found ancient, hand-dug wells around the
periphery of Lavic Lake (a dry lake), with abundant
Native American pottery shards near them. It was
assumed that the L-band radar had detected the top of
the shallow water table. We also noted that a basaltic
lava outcrop in the dry lake with no visible connection
to the main Pisgah Crater lava flow had an apparent
connection in the L-band image, but not in theX-band
image. We could dig only half a meter with a manual
post-hole digger and we used dynamite to blast down
to approximately 1.5m, but never came to the buried
lava tube that we were convinced (but did not prove)
was there. We agreed with Dellwig’s conclusion that
‘the real value of long-wavelength radar y is not its
penetrative capability or any other single factor per se,
but its unique total response to terrain characteristics,
as compared to a shorter-wavelength radar system’.

Much more recently, Abdelsalam and Stern report-
ed on a NASA Space Shuttle Space Radar Laboratory
experiment that simultaneously collected L-band
(24 cm), C-band (6 cm), and X-band (3 cm) SAR
data over the Sahara and Arabian deserts. They were
able to locate the Keraf Suture, where an ancient
collision between the Nubian Shield and the Nile
Craton once occurred. The suture had not previously
been mapped because wind-blown sand obscured it at
visible and infraredwavelengths. They also found that
the multifrequency radar data was able to separate
igneous rocks, Cretaceous-aged sedimentary rocks,
and Precambrian basement rocks for geological map-
ping, owing to their variations in surface roughness
at these three wavelengths of active microwave
radiation.

Vegetation can also provide differences in surface
roughness that multifrequency radar can map. Pod-
wysocki and colleagues found that Ka-band (0.86 cm)
and X-band (3.5 cm) images displayed bright returns
in the Escalante Desert of south-central Utah that had
scattered cover of greasewood plants, which average
60–90 cm in height. Aeolian sand sheets and present-
day playa surfaces appeared nearly black (smooth). In
this case the vegetation, not visible on L-band

(23.5 cm) radar images, provided a rough surface to
the shorter wavelengths and a smooth surface to the
longest-wavelength radar.

This prompts the question whether differential
penetration of vegetative canopies could provide
useful information about both the vegetation and
about the terrain underneath the canopy. Another
Willow Run Laboratories/ERIM experiment by Ben
Drake in the early 1970s involved his placing corner
reflectors on the ground in a deciduous forest in
Michigan during the height of the growing season.
When this was overflown by an X-band and L-band
radar system (simultaneous data collection), he exam-
ined separate images of both radar systems and could
not detect the corner reflectors at either wavelength.

However, two years after Drake’s experiment, Phil
Jackson and co-workers created a spectral ratio image
(really a ratio gray-map produced with symbols on
computer paper instead of on film) of X-band to
L-band images from the same airborne radar system
for a forested region (deciduous) in south-eastern
Kentucky (nearMiddlesboro) that showed evidence of
canopy penetration by radar. Figure 3A and 3B show
X-band and L-band images, respectively, of a larger
region around the immediate study area. Figure 3C
shows gray-maps of the L-band, X-band, and a
spectral ratio image of the two radar bands (L/X) for
the immediate study area inside the dashed box in the
two images in (A) and (B). The arcuate feature
designated by 1’s in the L-band and X-band images
of Figure 3C is a ‘bench’, or reclaimed area where coal
mining has occurred on the steep hillside. It has a
rough texture, with shale fragments ranging in size
from 3 to 60 cm (through the majority of fragments
were in the 3–15 cm range) and covered by grass. The
dark ‘bench’ designated by 2 in the L- and X-band
images of Figure 3C (but bright in the L/X ratio image,
like the surrounding terrain) was not level, but
consisted of several slopes (less than 51) parallel to
the radar look direction. A flat field with rock
fragments in approximately the 3–15 cm size range
and covered by grass is designated with a 3 in the
L- and X-band images of Figure 3C. Note that this flat
area is brighter in theX-band image than in the L-band
image, which is consistent with the theory that
surfaces with roughness equal to or greater than half
a wavelength appear rough (bright return in the
X-band image) and surfaces with roughness less than
half a wavelength appear smooth (dark return in the
L-band image). Above the ‘3’ is a small, cross-like
bright return on the L-band image that is not discern-
ible on the X-band image. This was a bog with mud
and some standing water, with a sparse stand of high
weeds of 90–120 cm height. In the spectral ratio gray-
map is an arcuate feature designated with a 4 that we
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Figure 3 Synthetic aperture radar (SAR) data for south-eastern Kentucky, near Middleboro. (A) X-band parallel polarization (HH);

(B) L-band parallel polarization (HH); (C) L-band (HH) image, X-band (HH) image, and L(HH)/X(HH) spectral ratio image from left to

right, respectively, for the study area shown inside the dashed boxes in images (A) and (B). (After Jackson et al. (1975).)
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found to be an elongated, elliptical depression. This is
a real feature on the ground that was hidden in the
radar shadow of the L- and X-band images of Figure
3C. The ratio image more clearly portrays the topo-
graphic information in the presence of apparent
shadowing and slope factors, which cause the indi-
vidual radar signals to vary greatly. The light-toned
linear feature above the ‘5’ in the spectral ratio image is
an old prospecting cut near the top of the tree-covered
mountain. It is a cut about 2m wide, with a wall
approximately 1.0–1.3m high. The cut at the time of
radar data collection was covered completely by trees
that were not as mature as those on either side of it but
were sufficiently mature not to have been visibly
different from their surroundings in an aerial photo-
graph of the area. We appear to be seeing a ground
feature in the spectral ratio image that is hidden by
trees in the two single-band SAR images of Figure 3C.

These two experiments bring an important remote
sensing dictum to the fore: Linear and nonlinear image
processing of coregistered spectral bands yields much
more information than examination of images of the
separate bands can yield. The reasons for this lie in the
complexity of reflections of electromagnetic radiation
from the surface and from the volume of the medium
forming the interface with the air through which the
radiation has propagated. There is usually both a
surface specular component and a volume component
to the reflected radiation. Because first-surface reflect-
ance is usually much less dependent on wavelength
than the volume reflectance, the spectral ratioing of
two bands of radar data tends to suppress the surface
reflectance, thereby enhancing the wavelength de-
pendence of the volume reflectance. The surface
reflectance is often higher than the volume reflectance,
which makes it dominate a single-band image. The
ratio image, however, enhances the volume reflect-
ance. What information is embedded in this volume
reflectance for forested terrain? There are many layers
of information: the total thickness and water content
of leaves on the trees, the sizes of twigs and branches
on the trees, the thickness of fallen leaves on the
ground, and the soilmoisture and roughness of the soil
underneath the leaves. In the spectral ratio example
above, it was either the different limb sizes of the
different-aged trees or reflections from the rocky
ground underneath the trees that permitted us to
observe the prospector’s cut on the hill.

In seasonal wetlands covered by deciduous forests,
it may be possible to use multifrequency radar to
determine how far the water table lies beneath the
fallen leaves on the forest floor. Generally speaking,
however, the complexity of forest canopies creates a
need for multifrequency radar. With the great variety
of scatterers in forested terrain, more wavelengths

(spectral bands) of radar data are required fromwhich
to separate the effects of those scatterers on backscat-
tered microwaves.

The effect of an object’s shape on radar backscatter
is most pronounced when radar waves of like and
crossed polarizations are employed for imaging
(which is called multipolarization radar) for whatever
wavelength of microwave radiation to which it is
applied. For instance, Ulaby found that sending and
receiving vertically polarized radar waves (called VV
for ‘vertically filtered source and vertically filtered
receiver’) provided better classification of agricultural
crops (corn in particular) than HH (horizontally
filtered source and receiver), or cross-polarized (VH
or HV) configurations. The vertical stalks of corn
backscatter more vertically polarized radar waves
than wave of other polarization orientations, and the
radar waves stay vertically polarized on the way back
to the detector. Because there are other types of crops
that also have vertical stalks (such as sugar cane),
multipolarization is an important capability for SAR
systems that are intended to map agricultural crops.
However, there are many other uses of multipolarized
SAR data, which apply whenever the observed object
has a preferred shape orientation. One example that
has been reported in the literature is the detection of
power line cables with VV polarization at angles away
from normal incidence, when the backscatter was
found to be proportional to the number and diameter
of the strands on the surface of the cables. This is an
important safety issue for low-altitude airplanes.
Another example of multipolarization radar applica-
tion (also multifrequency radar) is for the mapping of
snow depth, liquid water content, and ice crystal size.
Radar backscatter at 35GHz and 95GHz frequencies,
with every possible polarization combination of
source and receiver, was experimentally measured
and a numerical model was developed and adapted to
fit the observations of snow-covered ground.

Forestry applications have already been shown to
benefit greatly frommultifrequency,multipolarization
radar. Dobson and colleagues employed C-, L-, and
P-band SAR data to study maritime pine plantations
near Landes, France and near Duke, NC, USA. They
found that they could determine the biomass of the
coniferous forests, until the biomass saturated at a
biomass level that depends on the radar frequency,
ranging from 100 t ha� 1 at L-band and wavelength to
200 t ha� 1 at P-band wavelength. The C-band radar
was relatively insensitive to above-ground biomass,
probably because of its lesser ability to penetrate the
surface of the canopy, compared to the longer wave-
length radars. Dobson then showed that X-band and
C-band radar employed together were most effective
for determining the crown biomass of a forest in
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northern Michigan. These two wavelengths, com-
bined with L-band SAR,made it possible to determine
tree height (0–23mwith 2.4mRMS error), basal area
(0–72m2 ha� 1 with 3.5m2 ha�1 RMS error), dry
trunk biomass (0–19kgm�2 with 1.1kgm� 2 RMS
error),drycrownbiomass (0–6kgm� 2with0.5kgm� 2

RMS error), and total above-ground biomass
(0–25 kgm�2 with 1.4 kgm� 2 RMS error).

Summary and Conclusions

Past applications of multifrequency and/or multipo-
larization radar have included mapping of geological
features, forests, agricultural crops, electric power
lines, and snow cover. From experience of these
applications, there appear to be additional future
applications and general conclusions about multifre-
quency, multipolarization radar systems.

1. Although multifrequency radar offers no advan-
tage for soil moisture estimations from SAR meas-
urements, it could be used at low incidence angles
to determine relative surface roughness, regardless
of soil moisture.

2. Multifrequency radarmay be able to determine the
observation depth of a soil, through the oscillatory
nature of the backscatter coefficient as a function
of frequency.

3. Generally speaking, the complexity of forest can-
opies and agricultural crops creates a need for
multifrequency, multipolarization radar, because
the great variety of scatterers in forested terrain
and agricultural fields require more wavelengths
(spectral bands) and polarizations of radar data
from which to separate the effects of those scatter-
ers on backscattered microwaves.

4. Linear and nonlinear image processing of coregis-
tered spectral bands yields muchmore information
than examination of images of the separate bands
can yield.

Radar systems, even with multifrequency, multipo-
larization capabilities, do not have to be used to the
exclusion of data from other wavelength regions. As
Ulaby has pointed out, the combination of multifre-
quency/multipolarization satellite radar data with
LANDSAT visible/reflective infrared and thermal
infrared data will lead to more accurate crop classi-
fications from space. Not only do they provide better
classifications when employed together but radar data
can penetrate clouds, thereby providing critical infor-
mation during the growing season, even when clouds
obscure the ground for shorter wavelengths of elec-
tromagnetic radiation. Amultifrequency, multipolari-
zation radar satellite in an orbit offset from and

synchronous with a LANDSAT TM orbit would
provide data from the visible, reflective infrared,
thermal infrared, and microwave wavelength regions,
collected simultaneously. The ability to map chemical
composition variations on the ground while simulta-
neously mapping soil moisture would permit users to
map trafficability for providing advice to farmers
about the best times for farm machinery to be taken
into the fieldwithout getting stuck, aswell as formany
other trafficability applications. Agriculture, forestry,
geology, snow cover, power line, and trafficability
mapping would all benefit from such a system.

See also

Hydrology: Soil Moisture.Observations for Chemistry
(RemoteSensing): IR/FIR;Microwave.Snow (Surface).
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Introduction

The Sun as an average star is a typical main-sequence
dwarf of spectral classG-2. Its radius is 6.960� 108m.
The mean distance between the Sun and the Earth is
1.496� 1011m and is known as the astronomical unit
(AU). Solar radiation is the electromagnetic radiation
emitted by the Sun. Almost all known physical and
biological cycles in the Earth system are driven by the
solar radiation reaching the Earth. Solar radiation is
also the cause of climate change that is truly exterior to
the Earth system.

Solar Spectrum and Solar Constant

The distribution of solar radiation as a function of the
wavelength is called the solar spectrum,which consists
of a continuous emissionwith some superimposed line
structures. The Sun’s total radiation output is approxi-
mately equivalent to that of a blackbody at 5776K.
The solar radiation in the visible and infrared spec-
trum fits closely with the blackbody emission at this
temperature. However, the ultraviolet (UV) region
(o0.4 mm) of solar radiation deviates greatly from the
visible and infrared regions in terms of the equivalent
blackbody temperature of the Sun. In the interval
0.1–0.4 mm, the equivalent blackbody temperature of
the sun is generally less than 5776K with a minimum
of about 4500Kat about 0.16 mm.The deviations seen
in the solar spectrum are a result of emission from the
nonisothermal solar atmosphere.

The solar constant is the amount of solar radiation
received outside the Earth’s atmosphere on a surface
normal to the incident radiation per unit time and per
unit area at the Earth’s mean distance from the Sun.
The solar constant is an important value for the studies

of global energy balance and climate. Reliable measure-
mentsof solar constant canbemadeonly fromspace and
a more than 20-year record has been obtained based on
overlapping satellite observations. The analysis of satel-
lite data suggests a solar constant of 1366Wm�2 with a
measurement uncertainty of73Wm�2. Of the radiant
energy emitted from the Sun, approximately 50% lies in
the infrared region (40.7mm), about 40% in the visible
region (0.4–0.7mm), and about 10% in the UV region
(o0.4mm).

The solar constant is not in fact perfectly constant,
but varies in relation to the solar activities. Beyond the
very slow evolution of the Sun, a well-known solar
activity is the sunspots, which are relatively dark
regions on the surface of the Sun. The periodic change
in the number of sunspots is referred to as the sunspot
cycle, and takes about 11 years, the so-called 11-year
cycle. The cycle of sunspot maxima having the same
magnetic polarity is referred to as the 22-year cycle.
The Sun also rotates on its axis once in about 27 days.
Satellite observations suggest that the solar cycle
variation of the solar constant is on the order of about
0.1%,whichmight be too small to directly causemore
than barely detectable changes in the tropospheric
climate. However, some indirect evidence indicates
that the changes in solar constant related to sunspot
activitymay have been significantly larger over the last
several centuries. Furthermore, solar variability is
much larger (in relative terms) in the UV region, and
induces considerable changes in the chemical compo-
sition, temperature, and circulation of the strato-
sphere, as well as in the higher reaches of the upper
atmosphere.

Distribution of Solar Insolation
at the Top of the Atmosphere

The solar insolation is the actual amount of solar
radiation incident upon a unit horizontal surface over
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a specified period of time for a given locality. It
depends strongly on the solar zenith angle y0 and also
on the ratio (d=dm) of the actual distance to the mean
distance of the Earth from the Sun. The solar irradi-
ance at the top of the atmosphere may be expressed by

F ¼ S
dm
d

� �2

cos y0 ½1�

where S is the solar constant. The solar zenith angle
depends on the latitude, day of year, and time of day,
and is given by

cos y0 ¼ sin l sin dþ cos l cos d cos h ½2�
where l is the latitude, d the solar declination, and h
the hour angle. The hour angle is zero at solar noon
and increases by 151 for every hour. The solar zenith
angle is 901 at sunset and sunrise. Then the solar
insolation for a specified period of time between t1 and

t2 is given by

Q ¼
Z t2

t1

FðtÞ dt ½3�

Thedaily insolation at the topof the atmosphere can
be determined by integration of eqn [3] over a day. For
a given day of the year, the solar declination and the
ratio d=dm can be determined from standard astro-
nomical formulas. Under present astronomical condi-
tions, the solar declination varies from 231 270 on
21 June to �231 270 on 22 December, while (dm=dÞ2
ranges from 1.0343 on 3 January to 0.9674 on 5 July.
The values of the daily insolation at the top of the
atmosphere are presented in Figure 1 as a function of
latitude and time of year.

It is clear that the distribution of solar insolation at
the top of the atmosphere depends on the Earth’s
elliptical orbit around the Sun through d and d=dm.
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Because of the gravitational attraction between the
Earth and other planets, the orbital parameters
including the eccentricity of the orbit, the tilt of the
angle, and the longitude of the perihelion vary with
characteristic periods of about 100 000, 41 000, and
21 000 years, respectively. The variations of these
orbital parameters of the Earth may constitute a cause
for climate changes such as those experienced during
the Pleistocene ice ages.

Scattering and Absorption of Solar
Radiation in the Earth–Atmosphere
System

Solar radiation entering the Earth’s atmosphere is
absorbed and scattered by atmospheric gases, aero-
sols, clouds, and the Earth’s surface. The absorbed
radiation is added directly to the heat budget, whereas
the scattered radiation is partly returned to space and
partly continues its path through the Earth–atmos-
phere system where it is subject to further scattering
and absorption. The fraction of the incident solar
radiation that is reflected and backscattered to space is
called the albedo. We might speak of the albedo of the
entire Earth or of individual surfaces with reference
either to monochromatic radiation or to the total
incident solar radiation. In this last sense, the albedo of
the Earth as a whole is about 0.31.

Effects of Atmospheric Gases on Solar Radiation

The scattering of solar radiation by air molecules can
be described by a theory developed by Rayleigh, who
showed that the amount of scattering is inversely
proportional to the fourth power of the wavelength,
when the sizes of particles are much smaller than the
wavelength of the incident radiation. We see blue sky
because atmospheric molecules scatter solar radiation
much more in the blue than in the red part of the
spectrum. In fact, the sky is made visible through the
scattering process. On the other hand, sunsets and
sunrises appear reddish because the blue light in the
direct light is removed by scattering during the long
path through the atmosphere, leaving the remaining
reddish colors of the spectrum.

Atmospheric gases also absorb solar radiation in
selected wavelength bands. The UV radiation with
wavelengths shorter than 0.3mm is lethal to the
biosphere. The UV radiation in the interval 0.2–0.3mm
is mainly absorbed by O3 in the stratosphere. The
small amount of radiation with wavelengths shorter
than 0.2 mm is absorbed at higher levels by O2, N2, O,
and N. The photochemical processes due to absorp-
tion of solar UV radiation involving various forms of
oxygen are critical in determining the amount of ozone

in the stratosphere. The absorption spectrum of O2

between 0.2 and 0.26 mm is weak, but of significance
in the formation of ozone.

In the troposphere, the absorption of solar radiation
occurs in the visible and near-infrared regions, owing
primarily to H2O, CO2, O2, and O3. The absorption
in the visible, however, is very weak. Figure 2 shows
the depletion of solar radiation in a clear atmosphere.
The top curve is the solar spectrum at the top of the
Earth’s atmosphere and the lower curve represents
the spectrum at sea level; the shaded area gives the
combined effects of scattering and absorption of solar
radiation by atmospheric gases. It is evident that the
depletion of solar radiation is dominated by ozone
absorption in the UV, Rayleigh scattering in both UV
and visible, and water vapor absorption in the near
infrared.

Effects of Aerosols on Solar Radiation

Aerosols are suspensions of liquid and solid particles
in the atmosphere, excluding clouds and precipitation.
The aerosol particle sizes range from 10�4 to 10mm,
falling under the following broad categories: sulfates,
black carbon, organic carbon, dust, and sea salt.
Aerosol concentrations and compositions vary signif-
icantly with time and location. Visibility measure-
ments reflect the aerosol concentration at ground
level. The visual range can vary from a few meters to
200 km, depending on the proximity to sources, the
strength of the sources, and atmospheric conditions.

Aerosols scatter and absorb solar radiation. Sulfate
aerosols scatter primarily solar radiation and cause
cooling of the Earth–atmosphere system. The increase
in the reflected solar radiation at the top of the
atmosphere due to such nonabsorbing aerosols is
nearly identical to the reduction in solar radiation at
the surface. Carbonaceous aerosols (black carbon and
organics) absorb and scatter solar radiation. The
presence of black carbon aerosols results in the
absorption of solar radiation, which reduces the solar
radiation reaching the surface. At the same time, these
aerosols absorb the upward solar radiation reflected
from below and reduce the solar radiation reflected to
space. Therefore, the effect of black carbon aerosols
opposes the cooling effect of other aerosols at the top
of the atmosphere, whereas at the surface all aerosols
reduce solar radiation. The changes arising from the
aerosol scattering and absorption of solar radiation
are referred to as their direct radiative forcing.
Aerosols can alsomodify solar radiation through their
role in cloud condensation and as ice nuclei, an effect
known as aerosol indirect radiative forcing.

Aerosol particles in the atmosphere are produced
both in nature and by people. A global aerosol optical

RADIATION (SOLAR) 1861



depth of about 0.12 is suggested. These aerosols
increase the reflected solar radiation at the top of the
atmosphere by about 3Wm�2 globally. Anthro-
pogenic sources contribute significantly to the global
aerosol optical depth. Global anthropogenic emis-
sions of sulfates, organics, and black carbon even
exceed natural sources. Such a large perturbation of
the global aerosol loading due to human activities may
significantly modify regional and global climates.

Effects of Clouds on Solar Radiation

Clouds regularly cover about 65% of the Earth, and
occur in various types. Some, such as cirrus in
the tropics and stratus near the coastal areas and in
the Arctic are climatologically persistent. Like aero-
sols, clouds show substantial spatial and temporal
variations.

Clouds are the most important regulator of solar
radiation. By reflecting incoming solar radiation back
to space, they cool the Earth–atmosphere system – the
so-called cloud albedo effect. Clouds also absorb solar
radiation in the near-infrared region. The cooling of
the Earth–atmosphere system by the cloud albedo
effect occurs primarily at the surface. The solar albedo

of clouds depends substantially on cloud type and
cloud form, as well as the solar zenith angle.

The most straightforward and simple diagnostic
measure of the impact of clouds on solar radiation is
the short-wave cloud forcing, which is defined as the
difference of the net solar irradiances at the top of the
atmosphere between all-sky and cloudless conditions.
Here the net irradiance is the incoming solar radiation
minus the reflected radiation. Satellite measurements
suggest that the global short-wave cloud forcing is
about �45Wm�2. Short-wave cloud forcings are
maximized (about �120Wm�2) in the summer hem-
isphere at about latitude 601where solar input is large
and low clouds are abundant, with a secondary
maximum in tropics. Note that the magnitude of
short-wave cloud forcing is about ten times as large as
those for a CO2 doubling. Hence small changes in the
cloud-radiative forcing fields can play a significant
role as a climate feedback mechanism.

Solar Radiation at the Earth’s Surface

The radiation coming directly from the Sun received at
the Earth’s surface is called direct solar radiation. The
amount of scattered radiation coming from all other
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directions is called diffuse solar radiation. The sum of
both components as received on a horizontal surface is
called global solar radiation.

A significant fraction of the incoming solar radia-
tion is reflected back by the surface. The surface
albedo, defined as the ratio of the reflected over the
incoming radiation, depends on the nature of the
surface, solar zenith angle, and wavelength. For a
water surface the albedo is about 0.06, whereas for
snow the albedo is about 0.6–0.8. The albedo of bare
sea ice is about 0.4–0.6. Since large areas of earth are
covered by water, snow and sea ice, changes in the
snowand sea ice cover canhave a significant impact on
the global albedo.

Bare land surfaces have typical surface albedo of
0.1–0.35, with the highest value for the desert sand.
Albedos of most vegetation surfaces fall in the range
0.1–0.25. The albedo for green vegetation depends
greatly on wavelength, reflecting strongly in the near
infrared but absorbing in the ultraviolet and visible
regions.

Annual Global Mean Energy Budget of Solar
Radiation

The energy budget of solar radiation can be derived by
combining observations and modeling studies, which
show the combined effects of atmospheric gases,
aerosols, clouds, and surfaces. Under the annual
global mean condition, the incident solar radiation
at the top of the atmosphere is 342Wm�2. Of this
incident solar radiation, 67Wm�2 is absorbed during

passage through the atmosphere.A total of 107Wm�2

is reflected back to space: 30Wm�2 from the
surface and 77Wm�2 from clouds and aerosols and
atmosphere. The remaining 168Wm�2 is absorbed at
the Earth’s surface. It is noted that while the incoming
and reflected solar irradiances at the top of the
atmosphere are constrained by satellite observations,
uncertainties may exist for the partitioning of the
absorbed solar radiation between the atmosphere and
the surface on the global scale.

See also

Energy BalanceModel, Surface.Radiative Transfer:
Absorption and Thermal Emission; Non-local Thermody-
namic Equilibrium; Scattering. Solar Terrestrial Inter-
actions. Solar Winds.
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Solar and Thermal Radiation

In the final analysis, all physical or biological processes
that take place on Earth, owe their existence to the
absorption of radiation from the Sun. In the absence of
this radiation the Earth would be cold and lifeless, at a
temperature close to that of the cosmos, 2.73K.

Solar radiation corresponds approximately to a
black body emission temperature of 5780K. Solar

RADIATIVE TRANSFER / Absorption and Thermal Emission 1863



radiation reaching the Earth is, in part, scattered back
to space. The remainder is absorbed, and heats the
Earth which, in turn, emits thermal radiation to space.
Long-term balance between absorption and emission
leads to an average terrestrial emission temperature of
approximately 255K (substantially less than the
observed surface temperature).

Internally to the atmosphere, thermal radiation is
emitted and absorbed, transporting energy from
warmer levels to colder levels. Consequently, the
radiation field is characterized by the radiance,
In;lðlÞ, defined as the rate of flow of energy in the
l-direction, for unit area perpendicular to l, for unit
solid angle, and for unit range of frequency or wave-
length ðn or lÞ. The units are Wm�2 sr�1 (n or lÞ�1.

The Interaction Process

The interaction between a photon and an air molecule
can be described in varying degrees of complexity, but
a simplified picture of a one-stage process conveys
the general nature of absorption and scattering (see
Figure 1).

The molecule is assumed to exist in one of two
quantized states, M and Mn. M represents the state
before interaction with the photon (hn). We will
assume that this initial state is in thermodynamic
equilibrium, i.e., the populations of energy levels are
determined by Boltzmann’s law. The first stage in the
interaction is for the photon to disappear and the
molecule to be raised to the excited state, Mn (which
will not be in Boltzmann equilibrium).

In the second stage of the interaction, several things
may happen to the excited molecule, Mn, including
decomposition and chemical reactions. Leaving chemi-
stry aside, there are two generic possibilities. First,
collisions with other molecules may be so rapid that
the excess energy in Mn is thermalized and the
molecule returns to an equilibrium state, but with

slightly more internal energy in the thermal reservoir.
This process is absorption.

The alternative process is for the excitedmolecule to
decay spontaneously, as all excited molecules will if
left undisturbed for long enough. This again returns
themolecule to an equilibrium state, but nowaphoton
is emitted that is the same as the incident photon,
except with different direction and different polariza-
tion. The internal energy of the thermal reservoir is
unchanged. This is a coherent scattering process. The
branching between absorption and scattering depends
upon the ratio of the times for collisional thermalizat-
ion and spontaneous decay. For all bands that will be
discussed in the section ‘Gaseous Absorption’, this
ratio is very small in the troposphere and stratosphere,
and absorption is the dominant mode of interaction
between molecules and radiation in the lower atmos-
phere.

The absorption coefficient per molecule, kn;l, is
definedwith respect to those photons that disappear in
the interaction process (i.e., are absorbed). It is the
cross-section for an absorbing collision between a
photon and amolecule, and its units are square meters
(m2). Experimentally it is the fractional change in
radiance for radiation traversing an absorption tube in
which it interacts with one molecule per unit area of
tube cross-section (eqn [1]).

dIn;l ¼ �nkn;lIn;l ds ¼ þIn;l dtn;l ½1�

Here n is the molecular number density, ds is the
infinitesimal absorbing path, and tn;lð¼

R
path nkn;l dsÞ

is the optical path.
Although the internal energy must be described

differently, an analogous situation and analogous
definitions exist when a single molecule is replaced
by a single aerosol particle. Again, both scattering and
absorption can take place, although the branching is
not controlled by the molecular collision rate. In this
article discussionwill be limited to gaseous absorption
(particle and droplet scattering are treated elsewhere;
see Aerosols: Role in Radiative Transfer. Radiative
Transfer: Scattering).

Thermal Emission

Thermal emission is the complementary process to
absorption: internal energy is transferred spontane-
ously from the thermal reservoir to photons in the
radiation field. InBoltzmann equilibrium, states above
the ground state have finite populations and there is a
probability that decay by spontaneous emission will
take place, emitting a photon. As a consequence, there
is a steady state of photons associatedwith the interior
of a constant-temperature enclosure or cavity. Cavity

h�+M

M +h�

M *

Thermalization

Decay

Scattering

Absorption

M +Energy

Figure 1 A molecule–photon interaction. The branching de-

pends on the ratio of the collisional thermalization rate to the

spontaneous decay rate.
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or blackbody radiation is, according to Kirchhoff’s
laws, isotropic and the same as that emitted by a
perfectly black body at the same temperature; the
radiance is designated BlðTÞ where T is the absolute
temperature.

All meteorological and climatological studies as-
sume that air molecules are in a state of local
thermodynamic equilibrium, whereby Boltzmann
equilibrium is obeyed on a local basis. Consequently,
equilibrium radiation laws can be employed. But this
may not be correct at low pressures, when collisions
are infrequent. In the upper atmosphere a nonequili-
brium approach to radiation and fluid mechanics is
necessary.

BlðTÞ is governed by Kirchhoff’s and Planck’s laws.
It can be expressed as a function of its maximum value
(eqn [2]) and the dimensionless number x ¼ hc=kBlT,
where h, kB, and c are, respectively, Planck’s constant,
Boltzmann’s constant, and the speed of light.

Bl

BlðmaxÞ ¼ 4:717�10�2 x5

ex � 1
½2�

BlðmaxÞ is given by eqn [3].

BlðmaxÞ ¼ 4:1069�10�6 T5 Wm�3 sr�1 ½3�

The wavelength of the maximum emission is given
by Wien’s displacement law (eqn [4]).

lðmaxÞ ¼ 2:8978�10�3 T�1 m ½4�

For T ¼ 5780K the maximum emission is at
0:501mm, in the center of the visible spectrum; for
T ¼ 255K themaximum is at 11:36mm, in themiddle
infrared spectrum.

The integral of the radiance over all wavelengths is
given by the Stefan–Boltzmann relation (eqn [5]),
where s is the Stefan–Boltzmann constant, equal to
5:670�10�8 Wm�2 K�4.Z 1

0

BlðTÞ dl ¼ BðTÞ ¼ s
p
T4 ½5�

From Kirchhoff’s laws, the radiance emitted from
an infinitesimal path ds in thermodynamic equilibrium
is given by eqn [6].

dIl ¼ þnklBlðTÞ ds ¼ �BlðTÞ dtl ½6�

Gaseous Absorption

Bands and Line Spectra

The Earth’s atmosphere has a rich absorption spec-
trum of hundreds of thousands of lines and continuum

features extending from the ultraviolet to the
microwave spectrum, belonging to many different
atmospheric gases. Most of the absorptions are
vibration–rotation bands, for which the band center
is determined by a vibrational transition, with simul-
taneous rotational transitions forming branches of
discrete lines on either side of the center. In the absence
of a vibrational transition, lines forming a pure
rotation band can exist in the far infrared. In one
case (the oxygen red and infrared bands), an electronic
transition is also involved in the infrared spectrum, but
usually electronic transitions are to be found in the
visible and ultraviolet spectrum, and are continua
rather than line spectra.

Line and band strengths (Sline and Sband, which are
integrals of the absorption coefficient over a line or
band) vary over an enormous range, depending upon
the nature of the molecule and the transition. They are
proportional to the state population of the lower state
involved, which is governed by Boltzmann’s law, and
can be highly temperature-dependent.

Figure 2 shows two typical spectral regions at high
resolution. Figure 2A shows the regular structure of a
simple linear molecule. Figure 2B shows the more
complex structure exhibited by a molecule with three
different moments of inertia. Both have been calcu-
lated from the HITRAN database (http://www.HIT-
RAN.com). HITRAN2000 contains information on
approximately 1 080 000 spectral lines for 36 atmos-
pheric molecules, from the ultraviolet to the micro-
wave spectrum. The data are available on a compact
disc together with data handling and plotting pro-
grams. GEISA (http://www.ara.polytechnique.fr) is a
similar database, more frequently used in Europe.
GEISA97 lists 1 336 000 lines for 42molecules.

HITRAN data for each line include molecule, line
strength, line frequency, molecular parameters for the
transition, lower state energy (for Boltzmann calcula-
tions), linewidths for air- and self-broadening colli-
sions, temperature dependence of linewidth,
references and error codes. In general, most line shape
information and data on continua must be supplied
from other sources. Figure 3 shows a low spectral
resolution composite (i.e., the lines are unresolved) of
the atmospheric transmission for bands of the most
important atmospheric gases.

Line Profiles

The line profile is the absorption coefficient divided
by the line strength (eqn [7]), where n0 is the frequency
of the line center.

f ðn� n0Þ ¼ kn�n0

Sline
½7�
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Since lines are formed during close collisions, the
theory is extremely complicated, and use is commonly
made of empirical corrections to two simple approxi-
mations: the Michelson–Lorentz profile and the Dop-
pler profile.

TheMichelson–Lorentz profile is an approximation
to the line profile of a stationarymolecule, bombarded
by others, with amean time, t, between collisions. The
profile is given by eqn [8], where A is a small line-shift
parameter and aL is theMichelson–Lorentz linewidth,
given by eqn [9].

fLðn� n0Þ ¼ aL
p½ðn� n0 � AaLÞ2 þ a2L�

½8�

aL ¼ 1

2pt
½9�

According to eqn [9], the linewidth is proportional
principally to the air density, and therefore to the
pressure; hence the term pressure broadening.

The Doppler profile is appropriate to a collision-
free, thermally agitated molecule. The Doppler profile
is given by eqn [10], with aD given by eqn [11] where

aD is the Doppler linewidth and m is the mass of the
absorbing molecule.

fDðn� n0Þ ¼ 1

p1=2aD
exp� n� n0

aD

� �2

½10�

aD ¼ n0
c

2kBT

m

� �
½11�

For a water vapor line at 200 cm�1 and a temper-
ature of 300K, the Doppler width is 3:4�10�4 cm�1.
A typical Michelson–Lorentz width with air as a
perturber is 0:05 cm�1 at 105 Pa. The two widths are
approximately equal for a pressure of�103 Pa, which
occurs near to 30 km in the atmosphere. Below 30 km
Doppler broadening may be neglected; above 30 km it
may be important. A convolution between the two
shapes, known as the Voigt profile, is frequently used
to interpolate, between the two conditions, but it has
no physical justification.

Theory and laboratory measurements indicate that
the Michelson–Lorentz profile is quite precise for
displacements from line centers less than� 2 cm�1. At
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Figure 2 High-resolution spectra. The spectra are calculated from a GENLN-based line-by-line model, using the HITRAN data base.

(A) The fundamental vibration–rotation band of N2O at 1285 cm� 1 ð1 cm�1 ¼ 104=lðmmÞÞ. The absorption path is the atmosphere above

21 km for a zenith angle of 301. (B) The H2O rotation band near 670 cm� 1. The absorption path is for the entire atmosphere at a zenith

angle of 301. The concentration of water vapor is 3% of a typical terrestrial concentration.
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greater displacements, important deviations have been
measured for water vapor and carbon dioxide lines.
These empirical departures must be incorporated into
radiation algorithms by the user. Given complete line
profiles and the data in HITRAN or GEISA, it is
possible to calculate the monochromatic absorption
coefficient due to lines at any frequency in the
terrestrial spectrum.

Continua

The visible and ultraviolet absorptions of O3 and O2

are the results of electronic transitions to unquantized
upper states, and show no line structure.

Between 8 and 13 mm is a translucent region in the
water vapor spectrum in which the most important
absorption is a continuum formed by far wings of very
strong lines in the adjacent bands. For one numerical
program thewater continuum is formally defined to be
the residual absorption of wings more than 25 cm�1

from line centers. Water vapor lines and continua,
defined in thisway, are shownas twodistinct spectra in
Figure 3. The 10mm continuum is of great importance
for climate studies because it controls a spectral region
where energy can readily escape from the lower
atmosphere to space.

Nitrogen, oxygen, and carbon dioxide molecules
are all symmetric, and some or all vibration–rotation
transitions are strictly forbidden. In close collisions,
however, these symmetries are broken and transitions
can take place for a very short time. Transitions for
which this is of interest are the fundamental vibra-
tional transitions of nitrogen and oxygen and the pure
rotational transitions of oxygen, nitrogen, and carbon
dioxide. Because a very short time is spent during
collisions, the lines are very wide, and they overlap to
form a featureless continuum.

Polymers may be formed during close collisions.
Polymer bands have been detected in the visible and
near-infrared spectra of oxygen. Again, absorption is
continuous because of the short lifetime of the
polymer.

Continua behave differently from line spectra. Line
absorptions saturate as the path length increases, and
for long paths the dependence upon path length
becomes very slow. Continua do not saturate as
readily as line spectra, and their relative importance
increases at long absorption paths.

Radiance Algorithms

Equations [1] and [6] may be combined to give the net
change of radiance for simultaneous absorption and

thermal emission. The result is Schwarzschild’s equa-
tion of transfer eqn [12].

dIn
dtn

¼ In � BnðTÞ ½12�

Equation [12] is incomplete. In general, the blackbody
radiance should be replaced by a multiple-scattering/
absorption source function.

If we integrate eqn [12] along a path in the l-
direction with the optical path (t) varying from
t ¼ 0 at the place where the radiance is calculated, to
a boundary at t ¼ t0, where the radiance is given as a
boundary condition, we obtain eqn [13].

Inðl; t ¼ 0Þ ¼ Inðl; t ¼ t0Þ expð�t0Þ

þ
Z t 0

0

BnðtÞ expð�tÞ dt ½13�

The boundary is either space (for a downward-
directed radiance) or the Earth’s surface (for an
upward-directed radiance). Equation [13] is valid for
both thermal and solar radiation, with the difference
that, in the solar spectrum (0.15–5 mm), the thermal
source function is usually neglected, and the second
term on the right of eqn [13] omitted. The source of
solar radiation in the atmosphere (in the absence of
scattering) is the first (boundary) term on the right
of eqn [13].

From the solution of eqn [13] it is possible to
construct the radiation flux by integrating over all
directions, and its divergence (the negative heating
rate). The radiative heating rate is the fundamental
drive for the atmosphere, and its calculation with
adequate precision is an important task for radiation
studies.

Equation [13] is a simple quadrature. Nevertheless
it is a major numerical task to perform it efficiently,
flexibly with respect to changing input data, and
accurately. In the United States, two tested programs
are available: LBLRTMdeveloped by the USAir Force
Research Laboratory (http://atmos.umd.edu/Bbobe/
LBLRTM/), and GENLN developed at Oxford Uni-
versity and the National Center for Atmospheric
Research (e-mail contact: edwards@ucar.edu). Both
programs are monochromatic (so-called line-by-line
codes). They are based upon the HITRAN database,
adding those data on line shapes and continua needed
to complete the calculation. No physical approxima-
tions are employed. Both programs (and also MODT-
RAN, see below) can be combined with scattering
options.

Although modern computers can step rapidly
through the thermal or solar spectrum with frequency
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steps less than the narrowest lines, line-by-line calcu-
lations are too slow for weather or climate models.
These usually employ band model calculations, in
which eqn [13] is integrated with respect to frequency
over many lines, sometimes over entire vibration–
rotation bands. The exponential functions are then
replaced by more complex functions based partly on
laboratory measurements and partly on theoretical
analysis. Such methods are of limited accuracy al-
though, in recent years, the main sources of error have
been overcome by means of the correlated-k distribu-
tion technique.

MODTRAN is a band model program with a
maximum resolution of 1 cm� 1. It was developed by
the US Air Force Research Laboratory (http://
www.ontar.com) and is in common use when speed
is a consideration.

Radiation in the Earth’s Atmosphere

Interaction with the Sun and with Space

Absorption of solar radiation in the atmosphere and
emission of the atmosphere to space are concentrated
in layers (Chapman layers). The altitude of the
maximum of a Chapman layer for a given wavelength
depends on the absorption coefficient (see Figure 4).

Boundary Fluxes

Figure 5 shows net solar and thermal fluxes for 100 km
and for the Earth’s surface, in mid-latitudes. The diffe-
rences between these two fluxes represent the total
energy gained or lost by the atmosphere. The
calculation omits all scattering; consequently (and
unrealistically), the solar flux is for the direct solar
beam only.
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Heating Rates

Figure 6 shows the breakdown of the energy gained
and lost to the atmosphere from Figure 5, with respect
to altitude and principal species. Imbalances are the
drivers for dynamical processes.

Radiative Equilibrium

The thermal terms in Figure 6 are more sensitive to air
temperature than are the solar terms. Consequently,
the atmospheric temperaturemay be adjusted until the
solar and thermal terms in Figure 6 balance. This state
(radiative equilibrium), see Figure 7, can only exist in
an idealized, motionless atmosphere. Nevertheless, it
offers an important heuristic basis for studying the
state of the climate system.

Thermodynamics of the Radiation
Field

The thermodynamics of the radiation field is chara-
cterized by two intensive variables, temperature and
pressure, and two extensive variables, energy and
entropy; they are not independent, and all can be
expressed in terms of the energy and the frequency.

Temperature

The brightness temperature is obtained by inverting
eqn [2] with the ambient radiance in place ofBn, and is
the temperature with which the radiation stream is in
equilibrium.

Pressure

The radiation pressure is equal to one-third of the
energy density. It can cause work to be done during an
interactionwithmatter inmotion but, for atmospheric
velocities, this work is negligible compared to changes
of energy. Consequently, the heat interaction experi-
enced by the atmosphere is the loss of the internal
energy of the radiation, i.e., the negative divergence of
the radiative energy flux.

Entropy

The entropy radiance (Ln, defined in the same manner
as the energy radiance) is a single-valued function of
the energy radiance. For cavity radiation the entropy
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radiance can be integrated over all frequencies to give
eqn [14].

L ¼
Z 1

0

Ln dn ¼ 4

3

s
p
T3 ½14�

The absorption and emission of radiation (except in
a constant-temperature enclosure) has an irreversible
component. This arises because the brightness tempe-

rature of the radiation field will generally differ from
the local kinetic temperature, and this difference must
be thermalized through collisions. This is a disequi-
librium process and, since it is assumed that the
atmosphere is in local thermodynamic equilibrium,
the thermalization must, for consistency, be assumed
to take place outside the climate system. Consequent-
ly, the entropy increase that results from this irrevers-
ible process is accounted for by an increase of entropy
in the radiation field, and has no direct significance for
climate studies.

There is also a reversible component to the change
of entropy during an interaction which, for the
radiation field, is equal to but of opposite sign to the
corresponding change for the atmosphere. The rate of
change of specific entropy for the atmosphere is given
by eqn [15],where

.
qrad is the specific heating rate of the

atmosphere.

.
srad ¼

.
qrad
T

½15�

The balance equation for entropy production in the
entire climate system (CS) may be written in the form,Z

CS

.
smol þ .

sradð Þr dV ¼ 0 ½16�

where dV is an element of volume, r is the density, and
.
smol is the rate of change of specific entropy from
irreversible molecular dissipative processes in the
fluid. From the second law of thermodynamics,R
CS

.
smolr dV > 0 so that

R
CS

.
sradrdVo0, i.e., radia-

tion must extract entropy from the climate system.
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According to eqn [15], this may be achieved if solar
heating takes place at a higher temperature (lower
altitude) than cooling by thermal radiation; this
condition follows because most of the solar radiation
is absorbed by the Earth’s surface (see Figure 5).

Units and Nomenclature

SI units are used throughout. All non-standard
nomenclatures are defined in the text.

See also

Aerosols: Role in Radiative Transfer. General Circula-
tion: Energy Cycle. Observations for Chemistry
(In Situ): Particles. Radiative Transfer: Non-local
Thermodynamic Equilibrium; Scattering. Tropospheric
Chemistry and Composition: Aerosols/Particles.
Ultraviolet Radiation.
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Introduction

Clouds consist of water droplets with typical diamet-
ers of B20mm or ice crystals with typical size of
B100 mm suspended in the atmosphere. Cloud-ra-
diative processes are the interactions between these
cloud particles and electromagnetic radiation, includ-
ing the scattering, absorption, and emission processes.
Radiative transfer, which serves as a mechanism for
exchanging energy within the Earth–atmosphere sys-
tem and between this system and the rest of the
universe, is strongly modified by clouds. The under-
standing of cloud-radiative processes and their effects
on the radiative transfer is fundamentally important in
climate studies and remote sensing applications.

Refractive Indices of Water and Ice

The refractive indices of pure water and ice, as
functions of wavelength, are needed to determine the
scattering and absorption properties of cloud parti-

cles. The complex refractive index mðlÞ ¼ mrðlÞ þ
imiðlÞ where l is the free-space wavelength, mr is the
real part of the refractive index, and mi is the
imaginary part. The real part of a refractive index is
the ratio of the free-space speed of light to the phase
speed of an electromagnetic wave in the medium.
The imaginary part of a refractive index is related to
the absorption coefficient by 4pmi=l. For a real
refractive index, only scattering can take place. For a
complex index, both scattering and absorption are
possible.

The refractive indices for water and ice have been
measured extensively, and are comprehensively re-
viewed and tabulated. Figure 1 shows the real and
imaginary refractive indices for water and ice as
functions of wavelength. The real refractive indices of
water exhibit large deviations from those of ice for
wavelengths greater than about 10 mm. The imaginary
refractive index of ice shows a relatively strong
absorption at about 1.6 mm, where water exhibits a
minimum. On the other hand, water has much larger
absorption than ice at wavelengths larger than 10mm.
The imaginary refractive indices for both ice andwater
are negligibly small in the UV and visible regions, but
increase greatly in the near-infrared.
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Light Scattering and Absorption by
Cloud Particles

Scattering is a physical process by which a particle in
the path of an electromagnetic wave continuously
abstracts energy from the incidentwave and reradiates
it in all directions. The angular distribution of the
scattered energy from a particle is described using a
scattering phase function. Scattering is often acco-
mpanied by absorption,which results in the transfer of
energy from the radiation field to the heat budget. The
beam of radiation may be attenuated by both absorp-
tion and scattering, which together are called the
extinction. In the field of light scattering and radiative
transfer, it is customary to use a term called cross-
section, analogous to the geometric cross-sectional
area of a particle, to denote the amount of energy
removed from the original beam by the particle. An
extinction cross-section is the sum of the scattering
and absorption cross-sections. The extinction (scat-
tering or absorption) efficiency is the ratio of extinc-
tion (scattering or absorption) cross-section to a
particle’s geometric cross-sectional area.

Light scattering and absorption by cloud particles
depend on the size and shape of the particles, the
wavelength of radiation, the particles’ refractive
indices, and the viewing geometry. The interactions
of radiation and liquid droplets in water clouds are
well described by Mie theory, a complete solution of
Maxwell’s equations for a plane electromagnetic wave
incident on a dielectric sphere. By considering the
scattered field at a large distance from a sphere, we can
derive the scattering and extinction cross-sections and
the scattering phase function.

Figure 2 shows the extinction (Qe), scattering (Qs),
and absorption (Qa) efficiencies, and asymmetry
factor as functions of the size parameter, defined as
2pr=l where r is the radius of the sphere. The
asymmetry factor is the first moment of the scattering
phase function,which is positive or negative according
as the particle scattersmore energy into the forward or
backward direction. The refractive indices used are
those of water at wavelengths of 0.55 and 11 mm. In
the limit of large size parameter, the extinction
efficiency approaches a value of 2.

Formi ¼ 0, there is no absorption, so thatQs ¼ Qe.
Qs (orQe) in this case shows a series of major maxima
and minima and ripples. The major maxima and
minima are due to interference of light diffracted and
transmitted by the sphere, whereas the ripple arises
from edge rays that are grazing and traveling the
sphere, spewing off energy in all directions. Qs

approaches 2 for large size parameters, which applies
to the interaction of cloud droplets with visible
radiation. Since all visible wavelengths are scattered
nearly equally well, clouds therefore appear white.

At 11 mm, the absorption efficiency is on the order of
1 for the size parameters larger than B6. Therefore,
cloud droplets absorb nearly all of the infrared
radiation incident on them. They act essentially as
black bodies. Scattering efficiencies in the infrared
with large size parameters result mainly from the
diffraction about the sphere.

In clouds, there is usually a distribution of drop
sizes. Suppose that NðrÞdr is the number of drops per
unit volume in the radius range r to rþ dr. If the
scatterers are sufficiently far apart (many wave-
lengths) that they act independently, the extinction
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coefficient is givenbybe ¼
R
pr2QeNðrÞ drwhereQe is

the extinction efficiency.
Cirrus clouds are composed almost exclusively of

nonspherical ice crystals, with a wide range of shapes,
such as columns, plates, hollow columns, bullet
rosettes, aggregates, etc. The familiar halos associated
with cirrus clouds result from prismatic crystals with
the hexagonal structure. Unlike the scattering of light
by spherical water droplets, there is no general
solution for the light scattering and absorption by
nonspherical ice particles. Geometric optics, essen-
tially ray-tracing, is often used with nonspherical ice
particles having large size parameters,while numerical
solutions of Maxwell’s equations are used with small
size parameters. Key gaps, however, still exist in our
knowledge of light scattering and absorption by
complex ice particles.

Radiative Transfer in a Cloudy
Atmosphere

The influence of clouds on atmospheric radiation fields
is governed by a radiative transfer equation. If the
intensity of radiation Il becomes Il þ dIl after tra-
versing a thickness ds in the direction of its propaga-
tion, then we can write eqn [1], where be;l is the
extinction coefficient for radiation of wavelength l,
and jl is the source-function coefficient. The first term
on the right-hand side of eqn [1] represents the
reduction in the intensity caused by absorption and
scattering of radiation by the atmosphere and clouds;

the second term represents the contribution from
emission of the layer plus a result of the radiation
redirected from all other directions by the scattering
process into the direction under consideration. By
defining the source function Jl ¼ jl=be;l, we obtain
eqn [2].

dIl ¼ �be;lIl dsþ jl ds ½1�

dIl
be;lds

¼ �Il þ Jl ½2�

A knowledge of scattering and absorption coefficients
and the scattering phase function is required for
determination of the source function. In local ther-
modynamic equilibrium, the source function associ-
ated with an emission process is proportional to the
Planck function, a known function of frequency and
temperature. The scattering source function involves
an integral over all directions of incidence, which
transforms the radiative transfer equation into an
integrodifferential equation. This feature of the scat-
tering process greatly increases the complexity of
radiation calculations. Many efficient and accurate
methods of solving the radiative transfer equation
have been developed for numerical models and remote
sensing applications by assuming that clouds are
uniform and infinite in the horizontal, which is called
the plane-parallel cloud assumption.

For the calculation of radiative transfer in cloudy
atmospheres, we must also consider gaseous absorp-
tion. The number of monochromatic calculations that
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are needed for molecular line spectra is so great that
they can only be used for rare occasions. The corre-
lated-kmethod solves this problem by approximating
frequency integrals over line spectra by sums over a
few finite intervals of new independent variables.

Clouds reflect and absorb solar radiation. Solutions
of the radiative transfer equation can be used to
determine the radiative properties of clouds under the
plane-parallel assumption. If the cloud particle size
distribution and vertical distribution of humidity are
given, then the cloud albedo and absorption of solar
radiation depend on the cloudwater path and the solar
zenith angle. Cloud water path is the total mass of
cloud water in a vertical column of atmosphere per
unit of surface area.

The cloud albedo increases with cloud water path
and also with the solar zenith angle. It increases with
cloud water path most rapidly for smaller values
of cloud water path, and approaches a limit for very
large cloud water paths. The absorption of solar
radiation by plane-parallel clouds decreases with
increasing solar zenith angle, but increases with the
cloud water path. For a typical water droplet size
distribution and a solar zenith angle of 601, cloud
albedo can range from B25% to over 80%, and its
absorption from B3% to B11%, as the cloud water
path increases from 10 to 1000 gm�2.

The cloud albedo and absorption of solar radiation
are also sensitive to the cloud particle size. Keeping the
cloud water path fixed, the albedo is larger for smaller
droplets, mainly because these present a larger surface
area for the same mass.

Clouds effectively absorb and emit terrestrial radi-
ation. With cloud water paths greater than about
20 gm�2, water clouds become opaque to terrestrial
radiation. For most water clouds, it is a good approxi-
mation to assume that cloud surfaces absorb and emit
terrestrial radiation like black bodies. Unlike water
clouds, cirrus clouds are usually partially transparent
to terrestrial radiation owing to their larger cloud

particle sizes and smaller cloud water paths. Recent
studies also suggest that the neglect of scattering
processes in the infrared for cloudy atmospheres leads
to significant errors in estimating the outgoing long-
wave radiation.

Contrary to the plane-parallel cloud assumption,
real clouds are horizontally finite and inhomogeneous.
With an overhead Sun, solar radiation may leak from
the sides of clouds, which leads to increased transmis-
sion and absorption of solar radiation throughout the
atmosphere. At large solar zenith angles, the reflected
and absorbed solar radiation increase, owing to the
increased interception and reflection of solar radiation
by cloud sides. Finite clouds also have significant
effects on the transfer of long-wave radiation.

See also

Aerosols: Role in Cloud Physics. Cloud Chemistry.
Clouds: Classification; Climatology; Cumuliform; Meas-
urement Techniques In Situ. Coupled Ocean–Atmos-
phere Models. Parameterization of Physical Pro-
cesses: Clouds.
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Introduction

The atmosphere, viewed as a thermodynamic system,
is never in true thermodynamic equilibrium at any

level. A given parcel of air is always in the process of
changing its properties through the exchange of
particles and photons with its surroundings, through
collisions between molecules, and through chemical
changes. It can, however, be in a state known as ‘local’
thermodynamic equilibrium or LTE, a concept which
permits calculations of radiative transfer in the
atmosphere, and its energy exchanges (both internally
and with its upper and lower boundaries), to be made
relatively simply. In general, LTE applies if the
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populations of the energy levels within a molecule are
the same, or nearly the same, as they would be under
true thermodynamic equilibrium conditions. LTE
occurs when collisions are so frequent that the energy
level populations depend predominantly on the local
kinetic temperature, as defined by the Max-
wellian statistics of molecular motion.

Conversely, non-LTE arises when the ‘internal’
temperature of a representative molecule, as deter-
mined by the statistics of the relative populations of
the vibrational and rotational energy levels, becomes
different from the ‘external’ temperature, as deter-
mined by the statistics of the velocity distribution of
the molecules making up a parcel of gas. Any
difference depends primarily on the mean rate at
which collisions take place between the individual
molecules, which in turn depends mainly on the
number density, and so on the pressure and temper-
ature of the sample. Since the pressure dependence
usually dominates, non-LTE effects in atmospheres are
mainly of importance only at the higher altitudes, for
example in the stratosphere and above.

Basic non-LTE theory and most theoretical models
of planetary atmospheres deal with the transfer of
energy as (primarily infrared) radiation within an
atmosphere with a fixed composition and no fluid
dynamics. A refinement would be to include basic
photochemistry, i.e. the situation where photon–mol-
ecule encounters lead to the breakup of the molecule
and the subsequent formation of a different stable or
quasi-stable species. This is, of course, another exam-
ple of a non-equilibrium process, which depends on
the nature of the photon field, and often the internal
state of the molecule also.

Important applications of non-LTE theory in the
atmosphere include the calculation of thermal cooling
and solar heating rates. Dynamical models of the
upper atmosphere are very limited if they do not
include realistic calculations of the heating and cool-
ing which drive the motions, and these are strongly
effected by non-LTE. Furthermore, the recent rapid
growth of infrared detector technology allows us
today to sound themiddle andupper atmosphere using
the limb emission measured by infrared sensors on
satellites. The interpretation of these data in terms of
temperature and composition profiles depends on
non-LTE radiative transfer theory, especially in the
middle and upper atmosphere.

Breakdown of Local Thermodynamic
Equilibrium

The concept of LTE was introduced by Schwarzschild
in 1906 in his study of stellar atmospheres.He realized

that, in a star just as in a planetary atmosphere, any
individual parcel of gas is not isolated and, in
principle, no equilibrium can be defined. However,
the concept of equilibrium is so valuable in practice
that it is worth looking for situations where it can be
assumed as a close approximation to reality. Thus, a
rotational or vibrational energy level is in LTE if its
population is given by Boltzmann’s law at the local
kinetic temperature, T, i.e.,

nv;r
n0
¼ gv;r

g0
exp �Ev;r

kT

� �
½1�

where nv;r is the number density of the upper (vibra-
tional or rotational) state, Ev;r its energy, n0 the
number density of the ground state, gv;r and g0 their
respective degeneracies, and k the Boltzmann con-
stant. The emission from the level is then characterized
by the Planck function.

When the population of the level deviates from
Boltzmann’s lawwe say that the energy level is in non-
LTE or has a non-LTE population. This can be
characterized by introducing an excitation (vibration-
al or rotational) temperature Tv;r, defined by eqn [1]
with T replaced by Tv;r. It then follows that if the
vibrational or rotational temperature of an energy
level differs from the local kinetic temperature then the
level is in vibrational or rotational non-LTE. Similarly
the radiance emitted by the level considered is said to
be non-LTE emission and so is the cooling or heating it
produces.

For a real atmospheric parcel containing different
kinds of molecule, some can be in LTE and others not.
In fact, it is possible (and, at intermediate pressures
like those found in the upper stratosphere, quite usual)
for one internal energy state to be in LTE, and another
not, in the same individual molecule (Table 1). The
reason for the dependence on height is the dependence
onpressure of the collision frequency, and the different
efficiencies for transferring energy to vibrational
modes during collisions. In the atmosphere, both
pressure and therefore frequency of collision fall off
with height. Thus we should expect a given transition
to be more likely to be in non-LTE in the upper
atmosphere.

Another important parameter influencing the height
at which non-LTE occurs is the energy of the transi-
tion. For transitions corresponding to small energy
jumps the average number of collisions required to
keep the levels in equilibrium is smaller, so they can be
in LTE up to higher altitudes in the atmosphere. For
example, the CO2 4:3 mm band starts to depart from
LTE at approximately 50 km; while the Oð3PÞ states
which emit at 63 mmand the purely rotational levels of
virtually all atmospheric molecules, emitting in the
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microwave part of the spectrum, are in LTE up to the
high thermosphere.

There are two common ways in which the internal
states of any given molecule can ‘know’ what the
ensemble of molecules in the gas is doing. One is
through collisions, the other through exchanging
photons (Figure 1). If the former dominates then
LTE is normally guaranteed, but not necessarily where
the populations are controlled by the transfer of
radiation. Under optically thin conditions, the abso-
lute intensity, directional distribution, and frequency
spectrum of the radiation field may have little or no
relation to the Planck function at the local kinetic
temperature and hence drive the level populations to
non-LTE. The reverse may be true under optically
thick conditions, but then collisions are usually
plentiful as well.

Depending on the processes at work, we can
generally distinguish between the following non-LTE
situations:

(1) Classical non-LTE, where, in the absence of a
strong radiative source, thermal collisions are not fast
enough to supply the energy lost by spontaneous
emission and so the population of the excited state

is smaller than that corresponding to LTE (e.g.,
CO2ð0;11;0Þ in Figure 2). The level at which a
transition departs from LTE can be estimated in cases
such as that at which the collisional relaxation time is
of the same order as the spontaneous radiative
lifetime, particularly if the transition is optically thin
at this height. For optically thick conditions, a better
approximation is the altitude at which the thermal
losses equal the spontaneous emission multiplied by
the probability of photon escape to space.

(2) The internal atmospheric radiation field can
cause a breakdown of LTE when it is responsible for
overpopulating the excited level with respect to the
Boltzmann distribution. This situation is common for
molecular states which give rise to weak infrared
bands in the cold upper mesosphere (70–100 km),
since their populations are sensitive to the flux of
infrared photons from the warm lower atmosphere

Table 1 Approximate altitude of non-LTE departure of the most

important energy levels in the atmosphere

Species Band origin Energy Approximate

wavelength level altitudea

ðmmÞ (km)

CO2 15 0110 90

CO2 15 0220 80

CO2 15 0330 70

CO2 10 0001 50

CO2 4.3 0001;0111 50

CO2 4.3 0201;0221; 1001 40

CO2 2.7 0201;1001 40

CO 4.6 1 40

O3 10 001, 100 70

O3 10 v3 ¼ 2; 3;4; v3 > 4 60; 50; 30

O3 14.8 010 70

H2O 6.3 010, 020 60; 40

H2O 2.7 100, 001 10

CH4 7.6 v4 70

CH4 6.5 v2 70

NO 5.3 1 20

N2O 17 010, 020 80

N2O 7.8 100 75

N2O 4.5 001 50

NO2 6.2 001; v3 > 1 50; 10

Oð3PÞ 63 Oð3P1Þ > 200

aThe altitude of LTE breakdown depends on the atmospheric

conditions (latitude, season) and the solar illumination. For some

levels it changes considerably from day to night. The values are

given here for daytime, when this altitude is lower. Non-LTEeffects

are observed at lower tangent heights in limb radiances.
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(e.g., the ð0;11;0Þ level of the 16O12C17O isotope (627)
and H2Oð010Þ in Figure 2).

(3) Non-LTE breaks down when the absorption of
the strong solar radiation field is the prime process for
the populationof the excited levels. This occursmainly
for states which emit in the near-infrared part of the
spectrum (e.g., the CO2ð0;0;1Þ level in Figure 2).

(4) There are also situations where molecules are
excited and de-excited by processes such as chemical
recombination, photochemical reactions, electronic–
vibrational and vibrational–vibrational energy trans-
fers, dissociative recombination, and charged particles
collisions (e.g., O3ðv3 ¼ 2Þ in Figure 2). These are also
largely responsible for the atmospheric emissions
which constitute the terrestrial dayglow, nightglow,
and auroral spectra, which historically have not been
referred to as non-LTE emissions; however, since the
populations of the excited states which produce these
phenomena are far from a Boltzmann distribution at
the local kinetic temperature they should come under
this heading.

Basic Non-LTE Radiative Transfer
Theory

Historically, the solution of non-LTE situations has
been linked to the development of radiative transfer
theory and to the description of the radiating proper-
ties of matter. Since the first treatment by Milne in
1930 of radiative transfer under non-LTE conditions
for stellar atmospheres, this subject has been exten-
sively studied in astrophysics, mainly to interpret
stellar spectra and to study line formation in hot stars.

In 1949, Spitzer first pointed out the possibility that
at the low pressures found in the upper atmosphere,
the radiative field could upset the state of LTE. No
quantitative treatment was given, however. The
first application of a non-LTE formulation in the
terrestrial atmosphere was by Curtis and Goody in
their 1956 study of the CO2 15 mm cooling rate in the
mesosphere. They formulated the problem for the
simplest case of a two-level transition, including only
thermal collisions and radiative processes. At the same
time, coinciding with the development of the first
electronic computers, Curtis devised a linear param-
eterization of the radiative transfer equation to calcu-
late the heating rates induced by theCO2 15 mmbands.

To obtain the population (i.e., number density) of
moleculeN in states (2) and (1),n2 andn1, and then the
vibrational temperatures from eqn [1], as shown in
Figure 2, we consider the statistical equilibrium
equation, i.e., the principle of detailed balance. Let
us consider that the two levels are connected (Figure 1)
by:

(1) radiative processes (spontaneous emission, in-
duced emission, and absorption) through the vibra-
tion–rotation band (1–2);

(2) thermal collisions or vibrational–translational
(V–T) processes of the form

kt : Nð2Þ þMÐ Nð1Þ þMþ DE ½2�

whereM is any airmolecule, andDE ¼ E2 � E1 ¼ hn0
is the energy difference of the upper and lower levels;

(3) non-thermal collisional processes of the kind

kvv : CðvÞ þNð1Þ Ð Nð2Þ þ Cðv0Þ þ DEv ½3�

kev : Dn þNð1Þ Ð Nð2Þ þ ½Dn� þ DEev ½4�

kc : Aþ BþM! Nð2Þ þM ½5�

at rates kvv; kev, and kc. CðvÞ is an atmospheric
molecule excited in vibrational level v before, and in
v0 after, the collision; and ½Dn� is an excited atom or a
molecule electronically or vibrationally excited.
DEv ¼ Ev � Ev0 � hn0 and DEev ¼ En � hn0 are the
energy excesses, En being the energy of Dn.

The number density of stateN(2),n2, is then givenby:

n2
n1
¼ B12

�LLDn þ pt þ pnt

A21 þ B21
�LLDn þ lt þ lnt

½6�

whereA21; B21, andB12, are the Einstein coefficients for
spontaneous emission, induced emission, and absorp-
tion. �LLDn is themean radiance averaged over the spectral
interval of theband.pt ¼ k0t½M� is the thermal collisional
production, where [M] is the number density of air
molecules M, and k0t is the rate coefficient of process [2]
in the reverse direction, related to kt by

k0t
kt
¼ g2

g1
exp �E2 � E1

kT

� �
½7�

pnt ¼ kvv½CðvÞ� þ kev½Dn� þ kc½A�½B�=n1 is the specific
production rate of n2 molecules due to the nonthermal
processes [3]–[5], and lt ¼ kt½M� and lnt ¼ k0vv½Cðv0Þ� are
the specific losses of n2 in thermal [2] and non-thermal
[3] processes.

In order to get the population n2, we need to know
the mean radiance �LLDn, which is governed by the
radiative transfer equation. This has the form for an
infrared band with band strength S of

h ¼ 4pSna½�LLDn � Jn0 � ½8�

where h is the heating rate (or more precisely the
divergence of the radiative flux), na the number density
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of absorbing molecules, and J the source function of
the (1–2) band. To complete the system we need the
expression that relates the source function with the
population of the upper and lower states given, for an
infrared transition, by

Jn0 ¼
2hn30
c2

n1
n2

g2
g1
� 1

� ��1
½9�

Thus, from the solution of the statistical equilibrium
equation [6] and the radiative transfer equation [8] we
can obtain the population of the upper state n2 and the
heating rate h for non-LTE conditions.

The radiance measured by a satellite instrument
depends on the source function and the absorption
coefficient kn of the band considered. Their values in
non-LTE, relative to in LTE, are given by

Jn
Bn
¼ n2

nLTE2

kLTEn

kn
½10�

and

kn
kLTEn

¼ n1

nLTE1

1� g1n2
g2n1

� �
1� exp � hn0

kT

� �� ��1
½11�

Non-LTE also affects the cooling rate in the middle
and upper atmosphere, as shown in Figure 3 for the
important example of the CO2 15 mm fundamental.
Under non-LTE conditions, the cooling rate is much
smaller. According to simple theory, the non-LTE and
LTE cooling rates, q, of a band in the upper atmos-
phere are related by

q

qLTE
¼ kt½M�

A21
½12�

Since kt and A21 are nearly constant with height while
the number density of the air molecule [M] acting as a

collision partner falls off, the cooling rate ratio rapidly
decreases with altitude.

Non-LTE Models

The theory outlined above has been incorporated into
models which calculate the non-LTE populations of
the vibrational levels of the atmospheric species, and
which derive from these the cooling and heating rates
produced by the transitions that occur between them.
The populations are useful mainly for the interpreta-
tion of remote sensing data, while heating rate
calculations are an essential component of dynamical
models of the upper atmosphere.

The non-LTEmodels solve the system formed by the
statistical equilibrium equation for each of the molec-
ular vibrational energy levels, and the radiative trans-
fer equation for the significant transitions that take
place between them. All thermal and nonthermal
collisional processes involved in excitation and de-
excitation of the levels must be included in the
statistical equilibrium equation (eqn [6]). The radi-
ative transfer equation (eqn [8]) must, in the non-LTE
case, take account of (1) spontaneous emission; (2) the
absorption of radiation from external sources, espe-
cially tropospheric and solar radiation; and (3) the
transfer of photons between each atmospheric layer
and every other layer. The last term should incorpo-
rate, as for the LTE case, the frequency variation of the
atmospheric absorption coefficient, which includes a
large number of vibration–rotation lines with shapes
which vary with temperature and pressure. The
solution requires the integration of the radiative
transfer equation over frequency and over solid
angle to obtain the flux transmittances, followed by
the solution over altitude of the coupled system
of radiative transfer and statistical equilibrium
equations.

When the vibrational–vibrational (V–V) energy
exchange between vibrational levels with non-LTE
populations is very fast, the coupled equations of
statistical equilibrium for all the affected levels, and of
radiative transfer for all bands originating from those
levels, have to be solved simultaneously in order to
obtain accurate populations.

This is achieved by inversion or iteration, or a
combination of the two. A popular and flexible
method for performing the numerical integration is
that originally suggested by Curtis, which is based on
the replacement of the integration over height by a
summation over the atmospheric layers. It provides
both the populations of the energy levels and the
cooling/heating rates, and gives information about
cooling to space and the radiative exchange between
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layers. The Curtis matrix method can be used to
calculate cooling rates under LTE conditions as well,
and in fact it was derived originally for that purpose.

Non-LTE radiative transfer models represent a
formidable computational task, and approximations
need to be made whenever possible. Those often
assumed include neglecting stimulated emission, as-
suming rotational LTE, grouping levels with very
similar energies into resonant setswhich can be treated
as a single level, and neglecting overlapping between
spectral lines of different bands. The most difficult
situation is where there is overlapping between the
lines of different bands. Because of the different source
functions in each band, it then becomes necessary to
evaluate the radiative transfer equation for each fine-
mesh frequency point. So far, no non-LTE model has
been developed which attempts this very formidable
computational task.

CO2 is an example of an important atmospheric
molecule having many vibrational levels whose pop-
ulations are interdependent over extended atmospher-
ic regions, requiring a complex and interactive model.
Figure 4 shows a diagram of the vibrational energy
levels and the most important transitions at 15, 10,
4.3, and 2:7 mm of the principal isotope of CO2. The
first vibrational level of N2 and O2 and the bending
mode of water vapor are also shown. Although
transitions between the ground states of the very
abundant N2 and O2 species are forbidden, they
have resonances with the energy levels of
CO2ð0;0;1Þ;H2Oð0;v2;0Þ, and CH4ðv2; v4Þ and so
play an important role in redistributing the excitation
energy between these states via V–V collisional
transfer.

The usual inputs for the non-LTE models are the
pressure, temperature, and composition profiles, de-
tails of the relevant collisional thermal and non-
thermal processes, and the spectroscopic line data to

perform the radiative transfer calculation. Typical
outputs are the non-LTE populations, frequently
expressed in terms of the vibrational temperatures as
described above and shown in Figure 2, and cooling or
heating rates, like those shown in Figure 3. The non-
LTE populations can then be used to calculate the
emitted radiances or absorption spectra measured by
remote sensing instruments, using a further radiative
transfer code often referred to as the ‘forward model’
to distinguish it from the inverse procedure which is
used toworkback fromradiances or spectra to retrieve
the atmospheric variables of interest.

Since the first model in 1956 for the CO2 15 mm
band, models have been developed for many other
vibrational energy levels and infrared bands of this
species, and those of O3,H2O, NO, CO, and more
recently CH4,NO2,N2O, and HNO3, as well.

Cooling and Heating Rates

The reduction in collisional excitationwhich occurs in
non-LTE situations leads to less-efficient transfer
between thermal kinetic energy and radiation, and so
changes the rate at which the atmosphere cools to
space. Less obviously, it can affect the way the energy
from the Sun is absorbed as well: the lack of frequent
collisions prevents the energy absorbed from the solar
radiation from being efficiently thermalized, and so
influences the net heating rates. A quantitative under-
standing of non-LTE is therefore of value, not only to
improve our knowledge of processes in the upper
atmosphere and to derive accurate temperature and
constituent abundances from remote sensing meas-
urements, but also to understand the energy budget of
the region.

The bands contributing most to cooling in the
infrared are, in order of importance, CO2 emissions at
15 mm, the O3 bands near 9:6 mm, and the far-infrared
pure rotational and 6:3mm H2O bands. NO5:3 mm
emission is dominant in the thermosphere, and the
Oð3PÞ 63 mm emission is also important in this region.
The CO2 15 mm and NO5:3mm, in particular, are in
non-LTE in the middle and upper atmosphere.

The effect of non-LTE on heating is through the
resonant scattering of incoming solar radiation, prin-
cipally in the CO2 bands near 2.7 and 4:3 mm, and
through fluorescence effects in which energy is ab-
sorbed and later reradiated, usually at a different
wavelength.

Experimental Studies of Non-LTE

The first experimental studies of non-LTE in the
atmosphere were made in the 1960s with infrared
measurements from rocket payloads. They assumed
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an increased importance in the 1970s when non-LTE
radiance measurements began to be made by instru-
ments on orbiting satellites. When the nature and the
degree of the non-LTEprocesses affecting the observed
quantity, usually thermally emitted radiance or at-
mospheric transmittance, are unknown, the measure-
ments can be used to study the process in detail, and to
validate theoretical models such as those described
above. However, it is increasingly the case that the
effect of non-LTEprocesses on the observedquantity is
reasonably well understood, and the measurements
are being used to determine temperature or composi-
tion. Then, the presence of non-LTE effects (even if the
underlying theory is well understood) will increase the
complexity of the interpretation of the data, and add
an extra source of error and uncertainty. Sometimes,
however, non-LTE can help by increasing the signal at
high altitudes, especiallywhen there is significant solar
pumping, as is the case for CO at 4:7mm and CO2 at
4:3mm, for example. The vertical coverage possible
with an instrument of a given sensitivity can be greatly
extended by this effect, although obviously only on the
sunlit side of the planet.

Consider the radiance measured by a satellite
instrument with a response function FðnÞ over a finite
frequency range Dn, at a given observation point xobs.
This is given for the case of limb viewing by

LðxobsÞ ¼
Z
Dn
FðnÞ

Z xobs

x1
JnðxÞ dT nðxÞ

dx
dxdn ½13�

where x is position along the limb path line-of-sight
and the integration is performed from the furthest
extent of the atmosphere at the limb point, x1, to the
observation point at xobs, passing through the tangent
height of the observation point, z, and the monochro-
matic transmittance between x and xobs is given by

T nðx; xobsÞ ¼ exp �
Z xobs

x

knðx0Þnaðx0Þ dx0
� �

½14�

Therefore the emission measurements are affected
by non-LTE mainly through the source function and,
to a lesser extent, through the absorption coefficient,
whose deviations from LTE are given by eqns [10] and
[11]. Thus, non-LTE is important for emission meas-
urements, and particularly thosemeasuredwith a limb
geometry, because the relative contribution from the
upper atmospheric layers, where non-LTE is more
common, is larger in limb observations. The non-LTE
effects on nadir radiances (measured viewing near the
vertical) are of less significance, since most of the
radiation comes from the dense troposphere and lower
stratosphere where most emissions are in LTE. An
exception is the CO2 4:3mm band at daytime and
possibly NO at 5:3mm as well.

The effect of non-LTEon absorption spectra, where

LnðxobsÞ ¼ FðnÞLnðx1ÞT nðx1; xobsÞ ½15�

is much less than for emission, since it enters into the
transmission function only through the absorption
coefficient, and not through the source function. In
addition, for the fundamental bands, which are those
most commonly used in absorption experiments, non-
LTE is negligible, since the population of the ground
state is not significantly affected. Since most of the
molecules are in the ground state at atmospheric
temperatures, absorption in the hot bands (those
whose lower states are not the ground state) is very
weak, particularly in the tenuous upper regions where
non-LTE dominates. Hence non-LTE effects are not
important in general for hot bands in transmission
measurements. There is however an important excep-
tion: the lowest vibrational level of CO2; ð0;11;0Þ,
which is responsible for the 15 mm emission. The
population of this level in the atmosphere can be
derived from high-spectral-resolution absorption
measurements in the ð0;11;1 0;11;0Þ 4:3 mm band.
From these, and using also the fundamental ð0;0;1 
0;0;0Þ 4:3 mm band, the population of CO2ð0;11;0),
the kinetic temperature and theCO2 abundance canbe
retrieved simultaneously. This offers an important
advantage to the analysis of emission spectra, where a
simultaneous and collocated measurement of the
kinetic temperature and the abundance of the species
considered is rarely available.

Nevertheless, the measurements used to study non-
LTE have generally been of atmospheric emission. An
exception has been the use of solar occultation
spectroscopy, as described above, by the Atmospheric
Trace Molecule Spectroscopy Experiment (ATMOS)
spectrometer to study the non-LTE population of
CO2ð0;11;0Þ. The measurements by the Improved
Stratospheric and Mesospheric Sounder (ISAMS)
radiometer on the Upper Atmosphere Research Satel-
lite (UARS) show systematic day–night differences in
several infrared channels which are attributable to
non-LTE effects. For example, the daytime signal of
the 6:3 mm band of water vapor at 70 km observed at
high effective spectral resolution is two to three times
larger than that at nighttime; this factor is too large to
be accounted for by any reasonable change in the
concentration of water vapor.

Carbon monoxide is another important minor
constituent of the atmosphere which is strongly
affected by non-LTE. The day–night radiance ratio
for the CO4:6 mm band, as measured by ISAMS, is
approximately a factor of 2 (Figure 5). The global and
seasonal CO abundance has been retrieved from these
data using a non-LTE model for the source function
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(Figure 6). These results demonstrated the feasibility
of using CO to trace the dynamics, not only of the
mesosphere but also of the stratosphere, most notably
in the polar vortex. They are also a good example of
how non-LTE models are increasingly being included
into the forward models of inversion schemes, to

retrieve more accurate temperature and composition
profiles of the middle and upper atmosphere from
infrared measurements.

Non-LTE in Planetary Atmospheres

Non-LTE situations are not limited to the Earth’s
atmosphere. The atmospheres of the other terrestrial
planets,Mars andVenus, consist of nearly pure carbon
dioxide, making the study of non-LTE processes in
that molecule of crucial importance for understanding
the thermal structure of their upper atmospheres.
Also, the different physical and chemical conditions in
these atmospheres relative to the Earth offer scenarios
where different combinations of processes may be at
work, and comparison with the terrestrial case can
provide deeper insights into the non-LTEproblem. For
example, the weak hot and isotopic bands of CO2 are
much more important for radiative cooling in the
Venusian atmosphere than on the Earth, and LTE
applies up tomuchhigher altitudes in the 15mmbands.
The larger concentration of CO2 means that these
bands are optically thicker at a given pressure level,
less radiative energy is lost, and a slower thermal
collisional rate is enough to keep their populations in
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(C)  21  30 April 1992
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Figure 6 Zonal mean CO volumemixing ratio observed by UARS/ISAMS at the northern winter solstice (January 1992) and the spring

equinox (April 1992). Note the seasonal changes, especially at high latitudes, produced by dynamical effects, primarily massive

downwelling in the wintertime polar vortex. The emissions used to retrieve these abundances are in non-LTE over most of the vertical
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LTE. Another interesting example is the appearance of
the natural laser emission in the 10 mmbands ofCO2 in
theMartian atmosphere, which is absent on the Earth
because of the lower CO2 relative abundance, and is
weak in Venus because of its warmer atmosphere.

Differences in the compositions of the terrestrial
planet atmospheres are important in other ways. The
major atmospheric constituent onEarth,N2, acts as an
intermediary through its first vibrationally excited
state to redistribute the energy of CO2 n3 levels excited
by absorption of solar radiation. The second most
abundant species, O2, plays a similar role for distrib-
uting the vibrational energy of water vapor and
methane. On Mars and Venus it is the CO2 itself
which, throughmuch faster near-resonant V–Venergy
exchange, distributes the absorbed solar energy
internally and makes efficient thermal cooling
possible at 15mm. All studies of the cooling and
heating rates in the Venusian and Martian atmos-
pheres have stressed the important role of atomic
oxygen: the thermal collisions between CO2 and
Oð3PÞ are crucial for the cooling of the upper regions
of a CO2 atmosphere.

The atmospheres of the giant planets, and some of
their satellites, especially Titan, contain radiatively
active gases such as methane and various other
hydrocarbons. These gases must play an important
role in the thermal balance of their upper atmospheres,
analogous to that of CO2 onEarth, but the application
of non-LTE methods to these cases is in its infancy.
Also, relatively few measurements of upper-atmos-
pheric emissions are available to compare, and there-
fore test, the preliminary models which have been
produced, or to derive accurate concentrations for the
active gases. Because of this, such non-LTE models as
exist for planetary atmospheres other than the Earth
have been used mainly to study energy balance
problems. Their use to derive temperature and compo-
sition by remote sounding remains in the future.

In the very tenuous atmospheres, consisting ofwater
vapor, carbon monoxide, methane and other gases,
which make up the comae of comets, the pressures are
so low that LTE never applies anywhere. In this case,

not only vibrational but also rotational non-LTE has
to be considered in the analysis of composition
measurements, even those made in the microwave
part of the spectrum.

See also

Radiative Transfer: Absorption and Thermal Emission;
Scattering.
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Scattering

MMishchenko, L Travis and A Lacis, Goddard
Institute for Space Studies, New York, NY, USA

Introduction

A parallel beam of light, or of any electromagnetic
radiation, propagates in a vacuumwithout a change in

its characteristics.However, interposing a particle into
the beam causes several distinct effects. First, the
particle may convert some of the energy contained in
the beam into other forms of energy such as heat. This
phenomenon is called absorption. Second, it scatters
some of the incident energy in all directions at the
same frequency. This phenomenon is called elastic
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scattering. The energy of the incident beam is accord-
ingly reduced by the amount equal to the sum of the
absorbed and scattered energy. This reduction is called
extinction.

The electromagnetic interaction becomes more
complicated for a cloud of particles in the beam,
because now each particle is illuminated not only by
the external source but also by light scattered by all
other particles. As a consequence, the light reflected or
transmitted by the cloud of particles is multiply
scattered.

The single-scattering and absorption characteristics
of an isolated particlemay be complicated functions of
the particle size, morphology, and composition and
can be determined by solving theoretically the Max-
well equations or by using one of the available
experimental techniques. The process ofmultiple light
scattering by clouds of particles is described by the
radiative transfer equation subject to appropriate
boundary conditions.

Sunlight incident on the Earth’s atmosphere is
scattered by gas molecules and suspended particles,
giving rise to blue skies, white clouds, and various
optical displays such as rainbows, halos, and the glory.
By scattering and absorbing the incident short-wave
solar radiation and the long-wave radiation emitted by
the underlying surface, cloud and aerosol particles
strongly affect the Earth’s radiation budget. As a
consequence of the dependence of single-scattering
characteristics on particle size, morphology, and
composition, scattered light can be remarkably rich
in implicit information on particle properties and thus
provides a sensitive tool for remote analyses of clouds
and aerosols.

Basic Single-Scattering
Characteristics

The treatment of light scattering in the atmosphere is
naturally separated into three parts: single scattering
by an individual particle; single scattering by a small
volume element containing a tenuous particle collec-
tion; andmultiple scattering by the entire atmosphere.
It is assumed thatwithin the small volume element, the
particles are randomly distributed and separated by
at least several times their radii, a condition that is met
by aerosol and cloud particles suspended in the
atmosphere.

Consider a parallel monochromatic beam of light
illuminating an arbitrary particle (Figure 1). In the
absence of the particle, a well-collimated detector
facing the incident beam (detector 1 in Figure 1) would
receive the amount of radiant energy per unit time
equal to DSI, where I is the intensity of the beam (the

rate of energy flow across a unit area normal to the
direction of propagation) and DS is the detector area,
whereas detector 2 would measure no signal. As a
consequence of the electromagnetic interaction be-
tween the incident beam and the particle, the signal
measured by detector 1 becomes DSI � CextI, where
Cext is the particle extinction cross-section and CextI
describes the net reductionof the energy of the incident
beam. The signal measured by detector 2 is
DSr�2ðdCsca=dOÞI, where dCsca=dO is the differential
scattering cross-section, r is the distance between the
particle and the detector, and ðdCsca=dOÞI is the
amount of scattered energy per unit time per unit
solid angle. Both Cext and dCsca=dO have the dimen-
sion of area and depend on the particle size, shape,
refractive index, and orientation as well as on the
wavelength of the incident light l. The net effect of the
particle on the signal measured by detector 1 is to
reduce the illuminated detector area by ‘casting a
shadow’ of area Cext. While this geometrical interpre-
tation of the extinction cross-section does not imply
that Cext is simply equal to the area G of the particle
projection on the detector surface, it suggests the
introduction of the dimensionless extinction efficiency
factor by dividing the extinction cross-section by the
geometrical cross-section: Qext ¼ Cext=G. The differ-
ential scattering cross-section describes the angular
distribution of the scattered intensity and is a function
of the scattering direction.

The total amount of energy scattered by the particle
per unit time is computed by integrating over all
scattering directions and is given by CscaI, where Csca

given by eqn [1] is the total scattering cross section.

Csca ¼
Z
4p
dO

dCsca

dO
½1�

The amount of energy absorbedby the particle per unit
time is determined by subtracting the total scattered
energy from the total energy extracted from the
incident beam and is equal to CabsI, where Cabs ¼
Cext � Csca is the absorption cross-section.

The single-scattering and absorption properties of a
small volume element containing a representative
distribution of particle sizes, shapes, orientations,
and/or refractive indices are computed assuming that
each particle scatters and absorbs the incident light in
exactly the same way as if all other particles did not
exist. Then the optical cross-sections of the volume
element are obtained by summing up the respective
characteristics of all constituent particles. For exam-
ple, the extinction cross-section of a volume element
containingN particles is

PN
n¼1Cext;n ¼ NhCexti, where

the index n numbers the particles and hCexti is
the ensemble-averaged extinction cross-section per
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particle. The extinction efficiency factor is now defined
asQext ¼ hCexti=hGi, and similarly forQsca andQabs.

The dimensionless nonnegative quantity $ ¼
hCscai=hCexti is called the single-scattering albedo
and is the ratio of the total scattered energy to the
total energy extracted from the incident beam. $
is unity for nonabsorbing particles and is less than
one for absorbing particles. The quantity p ¼
ð4p=hCscaiÞhdCsca=dOi is called the phase function.
As with the differential scattering cross-section, it
describes the angular distribution of the scattered
light, but is dimensionless and normalized (eqn [2]).

1

4p

Z
4p
dO p ¼ 1 ½2�

The dimensionless asymmetry parameter [3] is defined
as the cosine of the scattering angle Y (the angle
between the incidence and scattering directions in
Figure 1) weighted by the phase function and averaged
over all scattering directions.

hcos Yi ¼ 1

4p

Z
4p
dOp cos Y;

� 1 � hcos Yi � 1 ½3�

The asymmetry parameter is positive if the particles
scatter more light into the forward hemisphere
ðYo90�Þ is negative if more light is scattered into
the backward hemisphere ðY > 90�Þ, and is equal to
zero if the scattering is symmetric with respect to the
plane perpendicular to the incidence direction.

hcos Yi ¼ 0 for molecular scattering but is (signifi-
cantly) greater than zero for most aerosol and cloud
particles.

This simplified description of electromagnetic scat-
tering is often called the scalar approximation because
it ignores the vector nature of light. In reality, the beam
of light must be characterized by a four-component
Stokes column vector Iwith components I,Q,U, and
V, of which the first is the intensity; the other three
describe the polarization state of the beam (i.e., the
characteristics of the preferential ellipse described by
the endpoint of the electric field vector). All Stokes
parameters have the dimension of energy flux. If
detectors 1 and 2 in Figure 1 were polarization-
sensitive, theywouldmeasure the signalsDSI� KI and
DSr�2FI, respectively, where K and F are 4�4 extinc-
tion and scattering matrices. Obviously, F describes
the transformation of the Stokes vector of the incident
beam into that of the scattered light. The 16 elements
of the extinction and scattering matrices may all be
nonzero, so the transmitted and scattered intensities
may depend on all four Stokes parameters of the
incident beam rather than only on its intensity. In
particular, the fact that K does not transform to the
scalar extinction cross-section for oriented nonspheri-
cal particles indicates that the particles can cause
different attenuation rates for different polarization
components of the incident beam, thereby changing
the polarization state of the transmitted signal. This
causes, for example, depolarization of radar signals
propagating through precipitation. The scattered light
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Figure 1 Response of a collimated detector depends on the line of sight.
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also has polarization characteristics different from
those of the incident light, therebymaking polarimetry
a sensitive particle characterization technique.Despite
its formal deficiency, the scalar approximation is often
used when the incident light is unpolarized and only
the intensity of the transmitted or scattered light is
measured.

Computation and Measurement of
Single-Scattering Characteristics

The evaluation of the Earth’s radiation balance and
analyses of remote sensing observations require accu-
rate quantitative knowledge of the electromagnetic
scattering interaction as a function of particle mor-
phology and composition. This knowledge can be
based on theoretical computations or experimental
measurements, both approaches having their
strengths and limitations. Theoretical modeling does
not involve expensive instrumentation and allows
switching to another particle shape, size, or refractive
index by changing a few lines in a computer code.
However, exact computations for realistic polydisper-
sions of irregular particles are costly and are thus often
replaced by computations for simplified shapes,
whereas approximate calculations often have uncer-
tain accuracy and range of applicability. Experimental
measurements deal with real particles, but require
complex and expensive hardware and may be difficult
to interpret.

Theoretical Techniques

In electromagnetic terms, the parallel monochromatic
beam of light is an oscillating plane electromagnetic
wave, whereas the particle is an aggregation of a large
number of elementary discrete electric charges. The
oscillating electromagnetic field of the incident wave
excites the charges to oscillatewith the same frequency
and thereby radiate secondary electromagnetic waves.
The superposition of the secondary waves generated
by all the charges gives the total scattered field. If the
particle is absorbing, it scatters less total energy than it
extracts from the incident wave.

Electromagnetic interaction is a complicated phe-
nomenon because the secondary wave generated by
each oscillating charge also stimulates oscillations of
all other charges forming the particle and thus
modifies their respective secondary waves. Because
the number of elementary charges forming a microm-
eter-sized particle is extremely large, solving the
scattering problem directly by computing and super-
posing all secondarywaves can be a hopeless endeavor
even with the aid of modern computers. Fortunately,

the same problem can be handled using the concepts of
macroscopic electromagnetics, which treat the large
collection of charges as a macroscopic body with a
specific distribution of the refractive index. The
scattered field is then computed by solving the
macroscopic Maxwell equations subject to appropri-
ate boundary conditions. This approach is mathe-
matically manageable and forms the basis of the
modern theory of electromagnetic scattering by small
particles.

All needs of a practitioner dealing with light
scattering by spherical particles may be well served
by the exact and highly efficient Lorenz–Mie theory
which is the result of applying the separation of
variables method to the vector wave equation in
spherical coordinates. For nonspherical particles,
exact computations must resort to more general and
complex solutions traditionally divided into two
broad categories. Differential equation methods com-
pute the scattered field by solving the Maxwell or
vector wave equations, subject to appropriate bound-
ary conditions, in the frequency domain or in the time
domain. Integral equation methods are based on the
volume or surface integral counterparts of the Max-
well equations; the boundary conditions are included
in the solution automatically.

The practical importance of approximate treat-
ments of light scattering diminishes as various exact
techniques mature and become applicable to a wider
range of problems and computers become ever more
powerful. However, at least one approximation is
likely never to become obsolete because its accuracy
only improves as the ratio of the particle size to the
wavelength grows, while exact theoretical techniques
for nonspherical particles cease to be practical when-
ever the ratio exceeds a certain threshold. This so-
called geometrical optics approximation assumes that
the particle size is much larger than the wavelength of
the incident light and that the incident plane wave can
be represented as a collection of independent parallel
rays. The history of each ray impinging on the particle
surface is traced using Snell’s law and Fresnel formulas
(Figure 2). Sampling all escaping rays into predefined
narrow angular bins yields a quantitative representa-
tion of the particle scattering and absorption proper-
ties. The ray-tracing pattern is supplemented by the
computation of Fraunhofer diffraction of the incident
wave on the particle projection.

Measurements

Detectors of visible and infrared light are usually
polarization-insensitive so that the detector response
is determined only by the first Stokes parameter of the
beam striking the detector. In order to measure all
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elements of the scattering matrix, one must insert into
the beam various optical elements that can vary the
polarization state of light before and after scattering in
a controllable way (Figure 3). The use of high-
frequency sinusoidal modulation in time of the polar-
ization of light before scattering combined with
intensity normalization and followed by lock-in
detection increases the measurement accuracy and
yields several elements from only one detected signal.
The measurement procedure is repeated at different

scattering angles in order to determine the angular
profile of the scattering matrix.

Scattering measurements using visible and infrared
light benefit from the availability of sensitive detectors
(photomultipliers and avalanche semiconductor pho-
todiodes), intense sources of radiation (lasers), and
high-quality optical elements. They involve relatively
inexpensive and portable instrumentation and can be
performed in the field nearly as well as in the
laboratory. However, they often suffer from poor
advanced knowledge of microphysical characteristics
of scattering particles, thereby making difficult com-
parisons of experimental and theoretical results. The
arrangement of the source of light and the detector
precludes measurements at scattering angles close to
0� and 180�, which makes problematic the absolute
measurement of the phase function (by enforcing the
normalization of eqn [2]) and the total scattering
cross-section.

Because particle size in the theoretical formulation
of electromagnetic scattering is only encountered as a
ratio to thewavelength, themain ideaof themicrowave
analog technique is to manufacture a centimeter-sized
scattering object with desired shape and refractive
index, measure the scattering of amicrowave beam by
this object, and finally extrapolate the results to other
wavelengths (e.g., visible or infrared) by keeping the
ratio size/wavelength fixed (Figure 4). Microwave
measurements allow a wide coverage of scattering

Directly
transmitted

Internally
reflectedAbsorbed

Refracted

Reflected

Incident
Transmitted

after one
internal reflection

Figure 2 Ray-tracing diagram.

Laser

P

M

Pinholes

PM
Oscillator

Lock-in
amplifiers

Workstation

Particle
jet

A
Q

Figure3 Schematic viewof an experimental setupusing visible or infrared light. The laser beampasses several optical elements before

and after scattering and is detected by the photomultiplier. The latter is mounted on a circular rail and can bemoved around the particle jet

in order to cover a wide range of scattering angles. P, polarizer; A, polarization analyzer; Q, quarter-wave plate; PM, photomultiplier; M,

electrooptic modulator.

1886 RADIATIVE TRANSFER / Scattering



angles including the exact forward and backward
directions and a much greater degree of control over
the target size, shape, and orientation than do optical
measurements. However, the microwave measure-
ments require more cumbersome and expensive in-
strumentation and large measurement facilities.
Furthermore, they are performed only for one particle
size, shape, and orientation at a time, thereby making
ensemble averaging a time-consuming process.

Multiple Scattering

Multiple scattering of light by the atmosphere con-
taining sparsely and randomly distributed aerosol and
cloud particles is usually described by the scalar
radiative transfer equation (RTE) (eqn [4]).

dIðn̂nÞ
ds

¼� n0hCextiIðn̂nÞ

þ n0
4p

Z
4p
dn̂n0hCscaipðn̂n; n̂n0ÞIðn̂n0Þ ½4�

Iðn̂nÞ is the specific intensity of the multiply scattered
light propagating in the direction n̂n (i.e., the rate of
energy flow per unit solid angle across a unit area
normal to n̂n), the path length element ds is measured
along n̂n, and n0 is the local particle number density.
The first term on the right-hand side of eqn [4]
describes the decrease of the specific intensity caused
by extinction over the distance ds, while the second
term describes the increase of the specific intensity
caused by scattering of light coming fromall directions
n̂n0 into the direction n̂n. TheRTEmust be supplemented
by appropriate boundary conditions. For example, a

standard model of the atmosphere is a multilayer
plane-parallel system illuminated from above by solar
radiation and bounded from below by a reflecting
surface. The RTE can be solved numerically using
various techniques such as the adding/doubling, dis-
crete ordinate, and invariant imbedding methods. The
scalar RTE is an approximation and must be replaced
by the exact vector equation when one is specifically
interested in the polarization characteristics of the
scattered radiation.

Examples of Scattering by Clouds and
Aerosols

The few examples following serve to illustrate some
key features of electromagnetic scattering phenomena
and their use in remote sensing of aerosols and clouds
and radiation budget computations. Figure 5 shows
the scattering efficiency factorQsca versus size param-
eter for a narrow size distribution of spherical particles
with refractive indices m ¼ 1:33 and 1.45 (typical of
water and sulfate aerosols at visible wavelengths,
respectively). The size parameter is defined as
x ¼ 2pr=l, where r is the effective radius of the size
distribution. For wavelength-sized particles ðx � 5Þ,
the scattering cross-section can exceed the particle
geometrical cross section by a factor greater than 3.5.
As the particle size becomes much larger,Qsca tends to
the asymptotic geometrical optics value of 2, with
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equal contributions from the rays striking the particle
and the light diffracted by the particle projection. For
particles much smaller than the wavelength,
Qsca / l�4, as first demonstrated by Lord Rayleigh
and hence called Rayleigh scattering. Thus the scat-
tering efficiency of gas molecules rapidly increases
with decreasing wavelength, thereby explaining the
blue color of skylight and the familiar reddening of the
sunset.

The dotted curve in Figure 6 shows the phase
function typical of spherical cloud droplets at visible
wavelengths. The strong concentration of light at
Y ¼ 0� is produced by Fraunhofer diffraction of light
on the particle projection, whereas the feature atY �
140� is the primary rainbow generated by rays that
have undergone only one internal reflection (Figure 2).
The slight change of the rainbow angle with wave-
length caused by dispersion gives rise to spectacularly
colorful rainbows often observed during showers
illuminated by the sun at an altitude lower than about
40�. The enhanced intensity at Y � 180� is called the
glory and can be seen from an airplane as a series of
colored rings around the shadow cast by the airplane
on the cloud top.
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The dashed curve in Figure 6 depicts the phase
function typical of randomly oriented pristine hexag-
onal ice crystals. The concentrations of light at
Y � 22� and 46� are the primary and secondary halos
attributed to minimum angles of deviation by 60� and
90� ice prisms. These features represent only two of
many optical phenomena associated with regularly
shaped ice crystals. Since cirrus clouds rather often fail
to exhibit halos, themajority of real ice crystals appear
to have highly irregular shapes and rough rather than
flat surfaces. Such particles are better characterized by
featureless phase functions like the one shown in

Figure 6 by the solid curve and computed for a
random-fractal model of ice crystals.

Large numerical differences between the three phase
functions depicted in Figure 6 can cause significant
differences in bidirectional reflectance of optical-
thickness-equivalent water and ice clouds (optical
thickness is defined as the average extinction cross-
section per particle times the column particle number
concentration). This, in turn, may lead to significant
errors in the retrieved cloud optical thickness if
remote-sensing reflectance measurements are inverted
using an incorrect particle model. Figure 7 illustrates
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the effect of particle shape on the global cloud albedo
(defined as cloud reflectance averaged over all inci-
dence and reflection directions) at visiblewavelengths.
The quantity (1� cloud albedo) determines howmuch
solar energy is absorbed or transmitted by the atmos-
phere and is an important climatological parameter. It
is seen that for the same optical thickness, clouds
composed of irregular ice crystals have the largest
albedo, whereas those composed of water droplets are
the least reflective. The explanation of this result is
simple: the asymmetry parameter for the irregular ice
crystals (0.752) is smaller than that for the hexagonal
ice columns (0.816) and significantly smaller than that
for thewater droplets (0.862), thereby causing a larger
fraction of the incident solar radiation to be backscat-
tered and a smaller fraction to be scattered in the
forward direction.

Figure 8 illustrates the ratio P ¼ �F12=F11 of the
scattering matrix elements (called the degree of linear
polarization) of the scattered light for unpolarized
incident light for polydisperse spheres with different
refractive indices and size parameters. The obvious
significant variability of polarization with m and r
(or l) makes it a very sensitive indicator of the particle
physical properties. Furthermore, since P is a ratio of
two intensities, it can be measured to a much greater
precision than intensity. These two factors explain
the remarkable potential of photopolarimetry as
a remote sensing tool for aerosol and cloud particle
characterization.

The fact that the Lorenz–Mie equality F22ð180�Þ ¼
F11ð180�Þ does not hold for nonspherical par-
ticles makes lidar and radar measurements of
the depolarization ratio d ¼ ½F11ð180�Þ� F22ð180�Þ�=
½F11ð180�Þ þ F22ð180�Þ� the most reliable detector of
particle nonsphericity. Figure 9 demonstrates d for
polydisperse, randomly oriented, nonspherical ice
particles and shows that the growth of the size
parameter from 0 to about 10 rapidly changes d
from 0 to large values sometimes approaching the
theoretical limit dmax ¼ 1. This property of the depo-
larization ratio makes it useful for sizing aerosol,
cloud, and precipitation particles by performing mul-
tiwavelength measurements.

Notation

hcosYi asymmetry parameter of the phase func-
tion (dimensionless)

Cabs absorption cross-section (m2)
Cext extinction cross-section (m2)
Csca scattering cross-section (m2)
dCsca=dO differential scattering cross section (m2)
F scattering matrix (m2)

Fij elements of the scattering matrix (m2)
G area of the particle geometrical projection

(m2)
I intensity (Wm� 2)
I specific intensity (Wm� 2 sr�1)
I first Stokes parameter (Wm� 2)
I 4� 1 Stokes vector (Wm� 2)
m refractive index (dimensionless)
n̂n unit vector in the direction of propagation

(dimensionless)
n0 particle number density (m� 3)
p phase function (dimensionless)
P degree of (linear) polarization (dimension-

less)
Q second Stokes parameter (Wm� 2)
Qabs efficiency factor for absorption (dimen-

sionless)
Qext efficiency factor for extinction (dimension-

less)
Qsca efficiency factor for scattering (dimension-

less)
S surface area (m2)
U third Stokes parameter (Wm�2)
V fourth Stokes parameter (Wm� 2)
d depolarization ratio (dimensionless)
Y scattering angle (radians)
K extinction matrix (m2)
l wavelength (m)
$ single-scattering albedo (dimensionless)
hxi average of x

See also

Aerosols:Role in Radiative Transfer.CloudMicrophys-
ics. Clouds: Classification. Contrails. Lidar: Atmos-
pheric Sounding Introduction. Observations for Chem-
istry (Remote Sensing): Lidar. Radar: Precipitation
Radar. Satellite Remote Sensing: Aerosol Measure-
ments.
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Introduction

The Earth receives a great variety of radiations at the
top of the atmosphere, over a very wide range of
energies. Among these, the only radiation that is
capable of producing significant changes in the
isotopic composition ofmatter is the cosmic radiation.
Nuclear interactions of cosmic ray particles with the
constituent nuclei of the atmosphere produce several
stable and radioactive nuclei. These nuclides (isotopes
of elements) are termed cosmogenic nuclides or
cosmogenic isotopes. Thus the atmosphere is conti-
nually labeled ‘naturally’ by nuclides, which serve as
tracers for studying the nature of large-scale motions
of the atmosphere: their distribution allows one to
directly determine the nature of the large-scale air
circulation, as well as the time scales of their removal
from the lower atmosphere by wet precipitation
and dry deposition. These tracers have several
unique features: (1) the source functions of the
tracers in all parts of the atmosphere can be deter-
mined precisely as a function of time; (2) several
radionuclides with different chemical properties
and half-lives varying in the range of an hour to
more than amillion years are producedby cosmic rays,
whereby air transport/mixing and aerosol scavenging
processes by wet precipitation can be studied
quantitatively, on time scales ranging from hours to
years.

The usefulness of tracers in fluids undergoing
complex, space- and time-dependent motions cannot
be underestimated. They provide space–time integrals
of motion on time scales of the mean lives of the

nuclides. It is interesting to note that a quantum jump
in our understanding of the atmospheric processes
occurred in the 1950s when artificial radionuclides
were introduced in the atmosphere as a result of
nuclearweapons tests. The spring 1954Castle thermo-
nuclear test introduced a large amount of artificial 3H
(tritium: half-life 12.3 years) into the atmosphere.
Studies of its concentration in rains clearly showed
that it was removed from the atmosphere in periods as
short as weeks. Similarly, the injections of the fission
radionuclide 90Sr into the atmosphere in stratospheric
tests of nuclear weapons led to the first insight into
time scales of removal of aerosols from the strato-
sphere to the troposphere and finally onto the surface
of the Earth, within periods of the order of few years.
These were remarkable observations indeed, since
conventional physical meteorological studies did not
provide even rough estimates of the time scales
involved in circulation and self-purging of the atmos-
phere, although enoughwas known about the physical
state of the atmosphere. However, a model had then
been proposed for the grand Equator-to-Poles tropo-
sphere–stratosphere–troposphere circulation, namely
the Brewer–Dobson model, which remained contro-
versial until recently.

The naturally produced cosmogenic radionuclides
14C (half-life 5730 years) and 3H had been discovered
before the first Castle test in the atmosphere, in 1947
and 1951, respectively. Soon thereafter, in the mid-
1950s, the long-lived radionuclide 10Be (half-life
1.5million years), and several short-lived cosmogenic
radionuclides (22Na, 35S, 7Be, 33P, and 32P) with half-
lives in the range of weeks to years were discovered.
Additionally, seven short-lived radionuclides of half-
lives ranging from 30min to 20 h were detected. See
Table 1 for half-lives and production mechanisms of
the cosmogenic nuclides. Studies of their distribution
in the atmosphere and in wet precipitations showed
clearly the power of these nuclides as tracers for
studying wide-ranging problems in atmospheric dy-
namics. The great attraction of tracers of different
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half-lives in such studies lies in the fact that they allow
integrationof complex fluidmotionover very different
space and time scales, and the greatest virtue of cosmic
ray tracers lies in the fact that they are naturally
injected into the atmosphere continuously at a rate
that can be determined fairly accurately. Fortunately,
tracers of different half-lives and chemical properties
are available to answer most of the important
questions in atmospheric transport and removal
processes.

The importance of the study of atmospheric trans-
port and aerosol scavenging processes cannot be
overemphasized. First, it must be considered as the
central problem in physical and chemical meteoro-
logy, which should in fact appear as a tangible product
of studies of the physical structure of the atmosphere.
Second, it is a prerequisite in understanding the
chemistry of the atmosphere. Finally, with the in-
creased injections of a variety of chemical compounds
as a result of industrial activity, including CO2,
fluorocarbons, CCl4, etc., it becomes necessary to
develop a quantitative capability to estimate the
evolution of their distributions in the atmosphere, in
space and time. This is being accomplished using a
variety of tracers: those produced naturally and
those produced artificially. Radon-222 (222Rn) is a
naturally produced tracer. In view of its short half-life

(3.8 days) and because it is injected into the
atmosphere from the Earth’s surface, it is especially
useful for characterizing air motions in the lower
troposphere. The production rates of cosmogenic
nuclides are highest in the stratosphere, but still
appreciable in the troposphere. They can therefore
be used as tracers throughout the atmosphere. As will
become clear later, cosmogenic nuclides show great
potential for quantifying atmospheric transport and
aerosol scavenging processes, as demonstrated in
several experiments carried out since the mid-1960s.
However, their full potential has yet to exploited since
no dedicated synoptic effort has been launched to
study various cosmogenic nuclides in the air masses
sampled. Seasonal, interannual, and decadal meas-
urements would be required to provide robust trans-
port/mixing and scavenging parameters for
development of robust three-dimensional atmospheric
models. The task is easily feasible with modern
techniques of sampling air and measurements of
cosmogenic nuclides.

Cosmogenic Nuclides Produced
in the Atmosphere

Cosmic rays are composed of high-energy particles of
nuclear matter, accelerated in shockwaves of type II
supernovas. Typical energies of nuclei in the primary
cosmic ray beam, incident at the top of the atmos-
phere, lie in the range of 1–10GeV (1GeV5 109 elec-
tron volts). The total energy range is of course much
greater, covering 0.1–1011GeV. Most of the cosmic
ray particles have velocities close to that of light and
have energies sufficient to break nuclei into fragments.
As a comparison, the binding energies of nucleons in
nuclei are on the order of 10MeV. During the passage
of cosmic ray particles through the Earth’s atmos-
phere, a nucleonic cascade develops as a result of
nuclear interactions of the cosmic rays with atmos-
pheric nuclei. As a result, the cosmic ray beam at depth
is composedof a greater number of secondary particles
that are capable of inducing further nuclear reactions.
Avariety of stable and radioactive nuclei are produced
in the nuclear interactions of primary and secondary
cosmic rays with the atmospheric nuclei N, O, Ar,
Kr, and Xe. Table 1 lists cosmogenic nuclides pro-
duced in the Earth’s atmosphere that have half-lives
exceeding 30min,which are applied as tracers in earth
sciences.

Cosmogenic nuclide production rates are strongly
dependent on latitude and altitude in the atmosphere.
These rates been estimated rather accurately, and
further attempts are under way to improve these
estimates. Estimates have been made of the intensities

Table 1 Cosmogenic nuclidesa produced in the Earth’s atmos-

phere with half-lives exceeding 30min

Nuclide Half-life

(s5 stable) Main target nuclei

3H 12.3 years N, O
3He s N, O
7Be 53days N, O
10Be 1.5 � 106 years N, O
14C 5730 years N, O
20Ne, 21Ne, 22Ne s Ar
22Na 2.6 years Ar
24Na 15h Ar
26Al 7.1 � 105 years Ar
28Mg 21.2 h Ar
31Si 2.6 h Ar
32Si � 150 years Ar
32P 14.3 days Ar
33P 25.3 days Ar
34mCl 32min Ar
35S 87days Ar
36Cl 3.0 � 105 years Ar
37Ar 35 days Ar
38Cl 37.3min Ar
38S 2.9 h Ar
39Cl 55.5min Ar
39Ar 268 years Ar
81Kr 2.3 � 105 years Kr
129I 1.6 � 107 years Xe

aArranged in order of increasing mass number.
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of slowneutrons in the atmosphere,which allowone to
estimate the altitude–latitude dependence of the rates
of production of 14C and 81Kr in the atmosphere by the
capture of slow neutrons by 14N and 80Kr, respectively.
Most other isotopes are produced by high-energy
spallation (fragmentation) of nuclei; their rates are
approximately proportional to the rates of nuclear
disintegrations, and have been estimated fairly accu-
rately on the basis ofmeasurements of slowneutrons in
the atmosphere. Figure 1 shows the altitude–latitude
dependence of the rate of nuclear disintegrations in the
atmosphere. For details of (small) departures in the
altitude–latitude dependence of nuclide yields from
nuclear disintegration rates, refer to Lal and Peters
(1967) (see Further Reading). Figure 1 therefore shows
the approximate relative altitude–latitude dependence
of all nuclides, except for 14C and 81Kr.

Criteria of Applicability of Cosmogenic
Nuclides in Meteorology and Related
Sciences

Before discussing the source strengths of cosmogenic
nuclides in the atmosphere, and results to date of
studies on them, we will briefly review the basis of
their application in the study of atmospheric transport
and removal processes, and also how one can obtain

information about the nature of past atmospheric
circulations from observations of the concentrations
of these nuclides in continental and oceanic reservoirs.

After their creation in the atmosphere in nuclear
interactions, most of the isotopes (Table 1) become
oxidized; exceptions are 3He, 37,39Ar, and 81Kr.
Among the oxides, 14C mixes with the atmospheric
CO2, whereas others quickly become attached to
aerosols (primarily of size o1mm in diameter).
Removal of all nuclides from the atmosphere occurs
by radioactive decay andbyphysical/chemical transfer
to other terrestrial reservoirs. In the lower atmosphere,
nuclides are removed either by scavenging by droplets
formed during condensation, or by gas exchange at
air–water interfaces, as applicable for 3He, 37,39Ar,
and 81Kr. Figure 2 is a schematic of different modes of
transport of cosmogenic nuclides classified into four
principal categories: atmosphere (A), which is subdi-
vided into stratosphere (S), troposphere (T), water
vapor (V); topsoil and biosphere (B); ocean mixed
layer (M); and deep sea (D).

The flowof tracers through the atmosphere depends
on the chemical nature of the elements corresponding
to the nuclides; their resulting concentrations depend
on their half-lives and the rate constants for exchange/
transfer between the reservoirs. The principal appli-
cation for the cosmogenic nuclides are thus governed
primarily by considerations of their expected transfer/
flow through the reservoirs, their half-lives, and their
chemical natures.

From the above discussion, it follows that, provided
cosmogenic nuclides can be measured in the different
reservoirs, they should serve as suitable tracers in
certain applications. This has been found to be the
case.Table 2 lists principal applications of cosmogenic
nuclides formed in the atmosphere in nuclear reac-
tions.

Finally, the distributions of the cosmogenic nuclides
in the terrestrial reservoirs are expected to depend on
the nature of stratospheric–tropospheric exchange
and the nature of circulation within the troposphere,
and on tropospheric scavenging processes, which are
expected to be climate-dependent. Hence, observa-
tions of the concentrations of cosmogenic nuclides in
the continental and marine sediments and in the polar
ice sheets are expected to be indicative of temporal
changes in the nature of large-scale atmospheric
circulation in the past.

Production Rates of Cosmogenic
Nuclides and Their Inventories in
Terrestrial Reservoirs

Table 3 presents estimates of production rates of cos-
mogenic nuclides with half-lives exceeding 2 weeks,

10

102

103

104

5

2

1
0 200 600 1030

Atmospheric depth  (g cm−2)

N
uc

le
ar

 d
is

in
te

gr
at

io
ns

 p
er

 g
 o

f a
ir 

pe
r 

s 
(×

 1
05 )

0 10 20
30

40 50 60 70 80 90

681g cm−2

0  g cm−2

312 g cm−2

1030 g cm−2

Figure 1 The rate of production of nuclear disintegrations with

energy release above 40MeV is plotted as a function of atmos-

pheric pressure (from Lal and Peters, 1967). To avoid overlapping,

curves for different latitudes have been displaced with respect to

each other successively by 200g cm�2 along the abscissa. (From

Lal and Peters (1967).)

RADIOACTIVITY / Cosmogenic Radionuclides 1893



M

D

S

T

V

B

S

T

M

D

Vo

M

D

S

T

Vc

B

GM

D

P

A

B

Tritium (3H)14C 81Kr, 39,37Ar Other isotopes

Marine
skeletons

Turbulent
mixing

Turbulent
mixing

Turbulent
mixing

Turbulent
mixing

Molecular
exchange 

Molecular
exchange 

Rain

Rain

Wind

Evaporation

Drainage

Rivers

Evaporation

Plant metabolism
Condensation

onto
droplets

Rain

Rain

Turbulent
mixing

Scavenging
by droplets

ConvectionConvection

Settling of dust,
debris, and precipitates

Figure 2 Schematic showing the principal avenues of transfer of different cosmogenic nuclides through the atmosphere to different

terrestrial reservoirs. A, atmosphere; S, stratosphere; T, troposphere; V, water vapor; B, topsoil and biosphere; M, oceanmixed layer; D,

deep sea. Vo and Vc refer to the vapor reservoirs over the ocean and continents, respectively. (From Lal and Peters (1967).)

Table 2 Important characteristics and principal applications of selected cosmogenic nuclides produced in the atmosphere

Nuclide Half-life Application

Isotopes that do not form compounds
3He Stable Air–sea exchange; escape of helium from the atmosphere
37Ar 35 days Atmospheric circulation and air–sea exchange
39Ar 268 years Atmospheric circulation; vertical mixing in oceans
81Kr 2.3 � 105 years Ground water ages, and constancy of cosmic radiation

Isotopes that attach to aerosols/particles
7Be 53days Atmospheric circulation, vertical mixing in surface ocean waters
10Be 1.5 � 106 years Atmospheric circulation; role of particle scavenging in the coastal and

open oceans; dating of sediments and accretions
26Al 7.1 � 105 years Role of particle scavenging in the coastal and open oceans; dating of

marine sediments and accretions
32Si (HSiO3, SiO2) �150 years Atmospheric circulation; labeling the dissolved oceanic silicon pool;

atmospheric circulation
33P, 32P 14.3, 25.3 days Atmospheric circulation; labeling the dissolved oceanic phosphorus pool;

tropospheric circulation
39Cl, 38S, 38Cl, 34mCl, 31Si, 28Mg, 24Mg 0.5 h to 21h Cloud formation and dissipation, and aerosol scavenging processes by

wet precipitation

Isotopes, of half-lives42 weeks, that label constituent molecules in the atmosphere and the hydrosphere
3H (H2O) 12.3 years Atmospheric circulation; characterizing water molecules in the

atmosphere, hydrosphere and cryosphere
14C (CO2, CO3, HCO3) 5730 years Atmospheric circulation; characterization of the carbon cycle reservoirs
32Si (HSiO3, SiO2) � 150 years Atmospheric circulation; biogeochemical cycle of silicon
33P, 32P (DIP, DOP) 14.3, 25.3 days Atmospheric circulation; biogeochemical cycle of phosphorus

DIP and DOP refer to dissolved inorganic and organic phosphorus, respectively.
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separately for the troposphere, and their global
inventory expected to be in secular equilibrium with
their production. Table 4 presents production rates of
cosmogenic nuclides with half-lives of 30min to 24 h.

On the basis of the pathways of the nuclides and the
inapproximate residence times within the reservoirs
versus times for exchangewith neighboring reservoirs,
their estimated steady-state fractional inventories in
the atmosphere and other reservoirs are presented in
Table 5. Absolute inventories can be obtained by
normalizing the relative inventories by their produc-
tion rates as given in Table 3. The sources of these
nuclides is in the atmosphere, and obviously their
absolute inventories in different reservoirs depend

critically on themodel used for their circulationwithin
the atmosphere and for scavenging from the tropo-
sphere. Information on present-day processes and
rates can be obtained from current measurements,
whereas those for the past have to be based on the
concentrations in the polar ice sheets or in continental
and marine sediments. Values in Table 5 are therefore
useful only as an approximation to the expected
values.

Observed Distributions of Short-Lived
and Long-Lived Cosmogenic Nuclides

Extensive measurements exist of most of the short-
lived and long-lived cosmogenic nuclides in all the
terrestrial reservoirswhere they are found. Relevant to
this discussion are the observed concentration of the
nuclides in the atmosphere and their fallout on the
Earth, which are governed by the nature of large-scale
atmospheric circulation and scavenging processes. It
would be beyond the scope of this article to discuss the
whole of the data; instead we discuss below some of
the highlights to illustrate the scope of cosmogenic
tracers.

The fallout of the short-lived nuclides 35S, 7Be, 33P,
and 32P at latitudes 0–301 is in agreement with their
production in the troposphere. The mean scavenging
time for the removal of cosmogenic nuclides from the
troposphere by dry and wet precipitation is about 30

Table 3 Production rates of cosmogenic nuclides in the Earth’s atmosphere, of half-lives exceeding 2 weeks; arranged in order of

decreasing half-lives#

Isotope Half-life Production rate (atomscm� 2 s�1) Global inventory

Troposphere Total atmosphere

3He Stable 6.7 � 10� 2 0.2 3.2 � 103 tonsa

10Be 1.5 � 106 years 1.5 � 10� 2 4.5 � 10�2 260 tons
26Al 7.1 � 105 years 3.8 � 10� 5 1.4 � 10�4 1.1 tons
81Krb 2.3 � 105 years 5.2 � 10� 7 1.2 � 10�6 8.5 kg
36Cl 3.0 � 105 years 4 � 10� 4 1.1 � 10�3 15 tonsn

14C 5730 years 1.1 2.5 75 tons
39Arc 268 years 4.5 � 10� 3 1.3 � 10�2 52 kg
32Si �150 years 5.4 � 10� 5 1.6 � 10�4 0.3 kg
3H 12.3 years 8.4 � 10� 2 0.25 3.5 kg
22Na 2.6 years 2.4 � 10� 5 8.6 � 10�5 1.9 g
35S 87days 4.9 � 10� 4 1.4 � 10�3 4.5 g
7Be 53days 2.7 � 10� 2 8.1 � 10�2 3.2 g
37Ar 35 days 2.8 � 10� 4 8.3 � 10�4 1.1 g
33P 25.3 days 2.2 � 10� 4 6.8 � 10�4 0.6 g
32P 14.3 days 2.7 � 10� 4 8.1 � 10�4 0.4 g

#Based on Lal and Peters (1967).
aThe inventory of this stable nuclide is based on its atmospheric inventory, which includes an appreciable contribution from crustal

degassing of 3He.
bBased on the measured atmospheric 81Kr/Kr ratio of (5.270.4) � 10� 13.
cBased on the measured atmospheric 39Ar/Ar ratio of (0.10770.004) dpm/liter Ar (STP).
nIncludes a rough estimate of 36Cl produced by the capture of neutrons at the Earth’s surface.

Table 4 Production rates of several short-lived isotopes pro-

duced by cosmic rays in the Earth’s atmosphere, of half-lives

30min–24h, arranged in order of decreasing half-lives

Production rate (atomscm� 2 s� 1)

Isotope Half-life Troposphere Total atmosphere

28Mg 21.2 h 4.6 � 10� 5 1.7 � 10�4

24Na 15.0 h 8.2 � 10� 5 3.0 � 10�4

38S 2.9 h 1.7 � 10� 5 4.9 � 10�5

31Si 2.6 h 1.5 � 10� 4 4.4 � 10�4

39Cl 55.5min 4.9 � 10� 4 1.4 � 10�3

38Cl 37.3min 7.7 � 10� 4 2.0 � 10�3

34mCl 32.0min 1.1 � 10� 4 2.0 � 10�4

Based on Bhandari et al. (1966b) and Lal and Suess (1968).
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days, independent of the latitude. This result has been
derived using single isotopes as well as pairs of
isotopes, such as 7Be and 32P or 33P and 32P.

At latitudes of 30–401, appreciable amounts of
stratospheric air mix into the troposphere during
springmonths, leading to an appreciable enhancement
in the concentrations of the nuclides in the air and in
wet precipitation. The effect is quite appreciable, and
is dramatically supported by observations of a host of
fission products released in the stratosphere, which
showmarked increases in isotope concentrations in air
and in wet precipitation at 30–401 latitudes. Strato-
spheric air builds up to near secular values of concen-
trations for short-lived isotopes (e.g., 7Be and 32P),
corresponding to the higher levels of production rates
in the stratosphere (relative to troposphere).When this
air descends into the troposphere, the ratios of isotope
concentrations in air change dramatically at first for
periods comparable to their half-lives (owing to
preferential decay of the shorter-lived isotope of a
pair), later reaching secular equilibrium values for the
troposphere. See, for example, Figure 3, which shows
the expected ratios for isotope pairs of 35S, 7Be, 33P,
and 32P.

The fairly extensive measurements of short-lived
nuclei in the stratosphere and in the troposphere
clearly show their half-life-dependent response to air
circulation dynamics. Figures 4 and 5 show measured
concentration ratios of 7Be and 22Na/7Be, respectively,T
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in the atmosphere. The transport/mixing characteris-
tics clearly show altitude and latitude dependence, as
well as seasonal dependence. Detailed measurements
of 32P, 7Be, and 22Na in the same air filters have been
presented by Bhandari and colleagues.

Ratios of isotope concentrations are particularly
valuable because they are independent of any uncer-
tainties in the volume of air filtered. The observed
degree of undersaturation in 22Na concentrations
indicates that the apparent irradiation age of strato-
spheric air ranges from a few months in the lower
layer, just above the tropopause, to� 1–2 years at low
latitudes and at altitudes of 18–20 km (Figure 5).

The expected fallout of nuclides that are scavenged
by wet precipitation can be deduced fairly accurately
from their estimated production rates in the tropo-
sphere and stratosphere (Figure 6), and the observed
fallout pattern of 90Sr injected in the stratosphere. The
resulting distribution is given in Figure 7 for a long-
lived nuclide that which does not decay appreciably in
the stratosphere.

Constructing Past Histories of
Atmospheric Circulation

It seems quite logical to assume that the fallout pattern
of cosmogenic isotopes that attach to aerosols would
change with changes in the pattern of atmospheric
circulation, which in turn would depend on past
climates. The paleorecord of this change is partly
contained in their concentrations in marine and con-
tinental sediments, and in polar ice sheets. This is all
one has, to the best of our knowledge, but it is
gratifying to see that this record is of a differential type
and carries useful information on even high-frequency
changes in the atmospheric circulation patterns. As
seen from Figure 7, the fallout pattern is latitude-
dependent, with varying relative contributions from
the troposphere and the stratosphere. Consequently,
it shouldbepossible to extract someuseful information
on any observed paleochange in the fallout of nuclides.

Discussion

We are concerned here with the study of transport and
mixing processes within and between the stratosphere
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and troposphere using tracers, with principal empha-
sis on cosmic ray-generated nuclides. The injection of
radionuclide tracer into the atmosphere as a result of
nuclear weapons tests provided fortuitous but valua-
ble information about atmospheric circulation and
aerosol scavenging processes, and this directly or
indirectly launched similar observations using a vari-
ety of other tracers of natural and anthropogenic
origin. These include water vapor, carbon dioxide,
nitrous oxide, and anthropogenic trace gases: nuclides
artificially produced as fission products (e.g., 90Sr, and
85Kr from weapons tests and due to release from
nuclear reactors, respectively), and 14C produced by
capture ofweapons-produced neutrons by atmospher-
ic N; and naturally produced radon (222Rn) and
cosmogenic nuclides. Today we have several atmos-
pheric transport models based on the use of observed
distributions of the three categories of tracers to set up
and tune three-dimensional models.

Studies of cosmogenic nuclides as atmospheric
tracers began soon after the first observations of
artificial radionuclides in the atmosphere produced by
nuclear weapons tests. This was very fortunate, since
aircraft- and balloon-borne programs that were de-
signed specifically tomeasure fission products released
from nuclear weapons tests provided suitable strato-
spheric and tropospheric air samples for the first
measurements of 7Be, 32P, and 22Na in the atmosphere.
These data immediately established the large potential
of cosmogenic nuclide as atmospheric tracers.

The value of the cosmogenic radionuclides as
tracers lies in the fact that their source functions are
fairly well known. This, combined with the fact that
several tracers of different chemical properties and
half-lives are available, makes them ideally suited for
studying spatial and temporal atmospheric processes.
Nevertheless, in some respects the transient tracers –
those introduced in pulses as a result of test detonation
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of nuclear weapons – have certain unique advantages
that the cosmogenic tracers lack. These include the
ability to determine north–south mixing in the
equatorial stratosphere, the resulting fallout
pattern of nuclides in the troposphere once injected,
say, into the equatorial stratosphere, the meridional
transport of tracers within the troposphere in the
Northern and Southern Hemispheres, and the cross-
equatorial transport via the troposphere. The limita-
tions on high accuracy using cosmogenic nuclides
arises from the fact that cosmic ray nuclide source
functions do not show much latitude dependence in
these cases.

The value of transient tracers, is illustrated by two
dramatic examples of studies of atmospheric transport
rates based on them.

� From combined studies of 90Sr and 14C released in
large nuclear weapons tests by the United States and
USSR during late 1962, it became possible to
determine quantitatively the structure of the trop-
osphere with respect to mixing of air, rates of
meridional transport within the two hemispheres,
and cross-Equator transport/mixing of air between
the two hemispheres. It was shown that the air
within the 0–301 and 30–901 tropospheric cells is
well mixed on periods of about 1week, that the
meridionalmixingwithin theNorthernHemisphere
exhibited a strong seasonal cycle with mean mixing
times of 0.5–2.5 months, and that faster mixing
occurred during the winter months. It was also
determined that the cross-Equator mixing in the

troposphere occurred on time scales of 873
months.

� Analyses of atmospheric distribution of 85Kr re-
leased primarily in the Northern Hemisphere by the
nuclear industry suggested a mean time of 1.1 years
for the interhemispheric exchange time in the
troposphere, with little seasonal dependence.

To extract the full value of naturally produced or
transient tracers, atmospheric tracers, it is clear that
one has to integrate the information obtained from
them and realize their limitations and potentials. To
fully understand the dynamics of the atmosphere,
including transports within and between the strato-
sphere and the troposphere, one has to integrate the
tracer-based information with information on the
nature of energy sources and sinks and their temporal
and spatial variability. A meteorologist interested in
atmospheric dynamics is concerned with numerous
atmospheric motion-determining parameters – poten-
tial temperature, potential vorticity, generation of
large-scale and small-scalewaves, their propagation in
the stratosphere and troposphere, and so on. Tracer
geochemists look at all of this basic physics as locked
within ‘black boxes’; they look only at the information
on the net space- and time-averaged transport fluxes
on the Earth. Clearly, attempts have to be made to
bring the two approaches together; limited but
successful efforts have been made, as documented in
the Further Reading.

Except for the detailed studies of several cos-
mogenic nuclides in the atmosphere during 1955–60,
recent studies of 7Be in the atmosphere, and some
isolated studies of 36Cl and 10Be, no dedicated
synoptic effort has yet been launched to study many
cosmogenic nuclides in the air masses sampled. From
the data available to date, however, their potential is
clearly borne out for providing robust transport/
mixing and scavenging parameters for developing
robust three-dimensional atmospheric models. The
task is easily feasible with modern techniques of air
sampling and measurements of cosmogenic nuclides.

See also

Aerosols: Climatology of Tropospheric Aerosols; Obser-
vations and Measurements; Physics and Chemistry of
Aerosols. Chemistry of the Atmosphere: Ion Chemis-
try. Deposition. General Circulation: Models. Paleo-
climatology: Ice Cores. Stratosphere–Troposphere
Exchange: Global Aspects; Local Processes. Strato-
sphericChemistry andComposition:Overview.Trac-
ers. Tropospheric Chemistry and Composition:
Aerosols/Particles.
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Introduction

The radiosonde is an expendable, balloon-borne
device that measures the vertical profile of meteoro-
logical variables and transmits the data to a ground-
based receiving and processing station. These profiles
are typically obtained twice each day and are the core
of the global weather observing system that provides
inputs to numerical forecast models. The sensor
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package routinelymeasures the variationwith altitude
of temperature, humidity, and pressure as the balloon
ascends from the land or ocean surface to heights up to
about 30 km (a pressure altitude of about 11 hecto-
pascals, hPa).When the device alsomeasures winds, it
is more properly called a rawinsonde, although the
term radiosonde is commonly applied to both. The
height profile of these meteorological variables con-
stitutes an upper-air sounding that is known as a
radiosonde observation or RAOB. In some cases, a
balloon without a radiosonde is tracked by either
optical or radar techniques in order to measure only
winds. This type of balloon is known as a pilot balloon
or simply a pibal, but it is not a radiosonde.

In 1999, there were 100 operational or synoptic
radiosonde stations in the United States; they made a
daily average of 182 soundings. In the continental US,
an average distance of 315 km separates radiosonde
stations. In 1999, there were 992 radiosonde stations
worldwide (Figure 1) that made an average of 1209
soundings each day in support of weather forecast
activities, while an additional 65 pibal stations made
576 wind soundings daily. Additional soundings are
made for specialized purposes of which defense
applications are the most significant. The global
numbers of RAOB and pibal soundings are down
considerably from their peak daily values in 1988 of
1660 and 964, respectively. The approximately half a
million radiosondes used annually are manufactured
by less than 10 companies worldwide. Of these, the
Vaisala company headquartered in Helsinki manufac-
tures about 70% of the global supply of radiosondes.
Vaisala was founded in 1936 by Professor Vilho
Vaisala, who in 1931 invented one of the world’s first
radiosondes (see Appendix).

Since 1957 all stations havemade their soundings at
the same times, 00.00 and 12.00 UTC, althoughmany

stations outside the US and Europe have reduced
soundings to one per day because of budgetary
constraints. Countries launching operational radio-
sondes are members of the World Meteorological
Organization’s World Weather Watch program; as
such, they freely share their sounding data with each
other. Shortly after an operational upper-air sounding
is completed, a standard data message is prepared and
made available to all nations using the Global
Telecommunications System. These TEMP messages
are transmitted in a universal format that reports
meteorological conditions at various standard or so-
called mandatory (pressure) levels as well as at
significant levels, which represent levels where pre-
scribed changes in meteorological conditions occur.

There are two primary purposes of upper-air
soundings: to analyze and describe current weather
patterns, and to provide inputs to short- and medium-
range computer-based weather forecast models. One
very important, specialized use of atmospheric sound-
ings is in support of forecasting hurricane movement.
Special radiosondes called dropwindsondes are
launched from weather reconnaissance aircraft to
observe atmospheric structure in the core of the
hurricane as well as in the area downwind of the
storm itself. These dropwindsonde measurements
were the single most important factor in a 20%
increase in hurricane forecast accuracy over the
decade of the 1990s. Other uses of radiosonde data
include climate studies, air pollution investigations,
aviation operations, and defense applications. The
radiosonde continues to be the backbone of an eclectic
suite of measurement technologies (measurements
both remote and in situ that are made from ground-
based, airborne, and satellite platforms) used to
provide data for input to numerical weather forecast
models.
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Radiosonde Operations

The radiosonde is carried aloft by a balloon as part of a
flight train (Figure 2). The balloon itself may be made
of either natural rubber (latex) or synthetic rubber
(neoprene). The mass of the flight train, the desired
ascent rate, the type of gas used, and the maximum
height of the sounding determine the size of the
balloon.Operational radiosonde systems typically use
balloons that weigh anywhere from 300 to 1200 g;
they are filled to ensure an ascent rate of 300mmin� 1.
Hydrogen is the gasmost commonly used to inflate the
balloon and provide its lifting capacity, although
helium and natural gas are sometimes used for special
applications. The flight train consists of five compo-
nents: (1) the balloon; (2) a parachute to bring the
radiosonde safely back to Earth after the balloon

bursts; (3) 20–60m of nylon separation line that
isolates the radiosonde’s sensors fromwater vapor and
thermal contamination by the balloon; (4) adereeler to
let out the nylon line after launch; and (5) the
radiosonde itself. A few countries such as the US and
Switzerland actively seek to recover and then reuse
their radiosondes. In the US, it is estimated that about
18%are reused after extensive refurbishment,while in
Switzerland, more than 60% are recovered and
reused.

Components of the Modern
Radiosonde

The radiosonde is an electronics unit that comprises
three major sections: a suite of sophisticated meteor-
ological sensors; signal-processing electronics; and a
radio transmitter to relay the measurements back to a
receiver at the radiosonde launch station. The meteo-
rologicalmeasurements aremade at intervals that vary
from 1 to 6 s, depending on the type andmanufacturer
of the radiosonde. Themeteorological community has
been assigned two radio frequency bands for use in
transmitting meteorological data: 400–406MHz and
1675–1700MHz. These bands are under continuing
pressure from the telecommunications industry,which
seeks to use them for commercial purposes. All of the
world’s radiosondes are required to meet certain
performance standards that have been established by
the WMO (see Table 1). Figure 3 illustrates four
different radiosondes currently in use around the
world.

Overview of Thermodynamic Sensors

Thermodynamic sensor types vary widely among
radiosondes currently in use throughout the world.
Temperature sensors are of four designs: capacitance
sensors, thermistors, resistance wires, and bimetallic
elements. The two common humidity elements are
carbon hygristors and planar thin-film capacitance
sensors, although gold-beater’s skin is still used in
Russia and China. Pressure measurements are typi-
cally made with either an aneroid cell or a piezore-
sistance element. There are about a dozen different
radiosonde designs presently in use. As radiosondes
have become more advanced, their changes have also
created special challenges to climatologists seeking to
piece together a consistent and homogeneous multi-
decadal global database to analyze and understand
climate change. As a result, climate researchers must
account for biases in the historical records due to
changes in instrumentation and observing methods,
many of which have poor or no documentation. In the

Balloon

Parachute

Hanger board

Unwinder

Radiosonde

60 m string

Figure 2 Typical radiosonde flight train, including balloon,

parachute and hanger board, unwinder mechanism, separation

line, and radiosonde.
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United States alone, these changes have been varied
and significant. Four distinctly different humidity
sensors have been in use since 1943. Temperature
measurements have undergonemajor changes, includ-
ing sensor type, size, and coating, exposure to the air
stream, and corrections to account for radiation
biases. At present, the US National Weather Service
uses radiosondes from two different manufacturers,
each having its own distinct set of pressure, temper-
ature, and humidity sensors. The Vaisala company
produces about 70% of the world’s radiosondes, and
added emphasis is given below to aspects of the design
of its radiosondes and sensors.

Thermodynamic Sensors

Sensors used with Vaisala radiosondes are all of the
capacitance type. Changes in pressure, temperature,
and humidity result in changes in the capacitance
information from each sensor, which in turn is
changed to a frequency signal by using sensor trans-
ducer electronics. Sensor frequency measurements are
compared with the frequencies of reference capaci-
tance transducers, and these in turn are converted to
physical measurements based on factory calibration
measurements. In the case of pressure, the distance
between capacitance plates changes as atmospheric

Table 1 Accuracy requirements (expressed as standard error) for upper-air measurements for synoptic meteorology

Variable Range Accuracy requirement

Pressure Surface to 5hPa 71 hPa

Temperature Surface to 100hPa 70.5K

100 to 5 hPa 71K

Relative humidity Troposphere 75% (RH)

Wind direction Surface to 100hPa 751 for wind speedo15m/s

72.51 for wind speed415m/s

100 to 5 hPa 751
Wind speed Surface to 100hPa 71m/s

100 to 5 hPa 72m/s

Geopotential height

of significant

levels

Surface to 100hPa 71% near the surface decreasing to

70.5% at 100 hPa

Source:WorldMeteorologicalOrganization (1996)Guide toMeteorological InstrumentsandMethodsofObservation, 6th edn.Publication

No. 8. Geneva: WMO.

RRS100
RRadiosonde
((China)

Mesei RS-01G
Radiosonde
(Japan)

Vaisala RS80
Radiosonde
(Finland)

Sippican Mark II
Microsonde
(USA)

Figure 3 Examples of Radiosondes in Current Use Around the World.
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pressure changes, causing a change in the measured
capacitance. Older pressure sensors use an aneroid or
bellows-type sensor that responds mechanically to
pressure changes. Modern pressure transducers are
very small silicon, micromechanical sensors. Pressure
sensors also have a temperature dependence that is
compensated by factory calibration of the sensor. The
temperature change of capacitive sensors is measured
by the change in the dielectric constant of the sensor.
Older capacitive sensors consisted of a sensor that was
hermetically packed inside glass. Newer capacitive
temperature sensors are extremely small and fast,
owing to a special twin-wire construction. Essential
aspects of modern temperature and humidity sensors
(and their supportingmembers, i.e. the sensor boomas
seen in Figure 4) are their different coatings and
treatments to minimize solar heating and improve
water repellency. The approach used to measure
humidity in all Vaisala radiosondes is also based on
changes in the dielectric constant. The humidity-
sensing technology is basedon so-called thin films.The
dielectric material is a very thin layer of a special
proprietary polymer that has an optimum combina-
tion of measurement properties, including stability,
repeatability, hysteresis, response time, and tempera-
ture dependence. Thin-film humidity sensors are
calibrated to provide output in terms of percent
relative humidity with respect to water; the tempera-
ture dependence is compensated by use of tempera-
ture-dependent calibration coefficients determined
from factory calibration tests. Some Vaisala humidity
probes incorporate two sensor elements that include
heating of the sensor elements to minimize affects of

water condensing on the sensors as the radiosonde
moves from warm to cold layers during its ascent.
The two sensors are alternately heated in sequence,
and the measurement is taken from the passive sensor.
The sensors are very small and designed for fast
response.

The accuracy of radiosonde data is a combination of
multiple factors: sensor performance; related trans-
ducer electronics; mechanical construction of the
sonde and sensor housing; sensor and sensor-boom
coatings and treatments; calibration technology; and
calibration and correction algorithms. In addition to
issues of radiosonde performance, the uncertainty of
upper-air measurements includes sampling considera-
tions, such as the density of the observation network,
time interval between observations, and the homoge-
neity of the atmosphere. Together, these instrumental
and environmental factors govern the accuracy and
representativity of the observations.

Specialized Radiosonde Sensors

Some radiosonde manufacturers offer optional sen-
sors to make supplemental environmental measure-
ments. Additional electronics are used to interface the
supplemental sensors to the radiosonde. Measure-
ments of ozone concentration and radioactivity are the
two most common supplemental measurements.
Radiosonde measurements of ozone are made world-
wide, although at fewer stations and typically only
once per day or less often. The most common
radiosonde ozone sensor is the electrochemical type,
while radioactivity is typically measured with Geiger–
Müller tubes. Other supplemental measurements in
use today include dew point, optical backscattering by
fine particles, electric field, and video imaging of
particles and hydrometeors. Most advanced radio-
sonde ground systems effectively support both synop-
tic and research users, and offer options for post-
ascent data calculation and analysis of supplemental
measurements.

The Vaisala ozonesonde consists of an electrochem-
ical ozone sensor connected to an interface unit and a
modified radiosonde. Consequently, humidity, pres-
sure, temperature, and geopotential height can be
measured simultaneously with ozone sampling.
Upper-air winds are also measured. This lightweight,
balloon-borne instrument is capable of measuring the
vertical distribution of atmospheric ozone up to 3 hPa.
The uncertainty of the ozone measurement is of order
5–10% of the local values. The electrochemical
concentration cell (ECC) ozone sensor detects ozone
on the basis of an iodine–iodide oxidation-reduction
or redox electrode reaction in neutral buffered solu-
tion. The sensor consists of an electrochemical

150 mm

50 mm

90 mm

Figure 4 Vaisala RS90 Radiosonde with sensor boom.
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concentration cell that contains two platinum elec-
trodes immersed in separate potassium iodide solu-
tions of different concentrations, which are separate
anode and cathode chambers. The chambers are
linked with an ion bridge. As air containing ozone
flows into the cathode solution, a chemical reaction
occurs and the platinum electrodes carry electrons
between the cells of the sensor. An electrical current is
generated in proportion to the rate at which ozone
enters the cell. The ozone concentration is determined
from the electric current measurement using an
equation that considers the airflow rate, air pressure,
and pump temperature. The interface can also be used
with other sensor types, such as the Brewer–Mast
sensor. The Brewer–Mast sensor uses similar ozone
detection reaction, but instead of a reference chamber,
the driving potential for the measurement circuit is an
electrical circuit. The ECC-type sensor is more accu-
rate and is more widely used.

The Vaisala radioactivity sonde is a combination of
a radioactivity sensor and a modified radiosonde. The
radioactivity sonde can measure the vertical profile of
radioactivity in the troposphere and in the lower
stratosphere, up to altitudes of 40 km. The radioac-
tivity sensor measures radiation with two Geiger–
Müller detectors – ionization chambers filled with
special gas mixtures. One detector is sensitive only to
gamma radiation, while the other measures both
gamma and beta radiation. This way it is possible to
make measurements of both gamma and beta radia-
tion. The detectors have pulse outputs; the count rate
is proportional to the radiation intensity and is read at
fixed time intervals. The measurement accuracy is
about 710%.

Overview of Windfinding

There are several techniques formeasuringwindswith
only a balloon or with a combination balloon and
radiosonde. When a radiosonde measures winds it is
called a radio-wind-sonde or rawinsonde. Raw-
insondewindfindingmethods vary widely. In all cases,
the winds are determined by observing the drift of the
balloon. One class of wind measurement techniques
tracks the balloon externally using one of three
methods: (1) optical systems use a theodolite to
visually track the balloon’s azimuth and elevation;
(2) radio theodolites track a radio signal sent from a
transmitter on the radiosonde, again to obtain azi-
muth and elevation information; and (3) radar systems
track a radar retroreflector suspended from the
balloon to obtain slant range, azimuth, and elevation.
The second class ofwindmeasurement techniques uses
various navigation systems. Two such systems cur-

rently in use employ the LORAN-C navigation system
and various VLF systems, such as the Russian ALPHA
system and the US Navy’s VLF system. A new
navigation-based windfinding technique is now com-
ing into widespread usage. A receiver inside the
radiosonde accurately measures the horizontal and
vertical Doppler velocity of the radiosonde with
respect to those Global Positioning System (GPS)
satellites that can be observed at any given time
(typically, four to eight satellites). Other types of GPS
receivers also observe the latitude, longitude, and
altitude of the radiosonde. In both cases, the GPS
receiver measures directly the drift velocity of the
balloon and hence the wind. Twomajor advantages of
the GPS-based techniques are the high accuracy and
precision of the wind measurements, and the world-
wide coverage of GPS.

Tracking Techniques

Optical tracking methods One of the earliest meth-
ods for determining the winds aloft was to visually or
optically track small balloons, called pilot balloons
(pibals). This methodwas developed in themid-1870s
using a small expendable balloon tracked with a small
telescope. The small optical device, similar to a
surveyor’s transit, is called a theodolite and can
accurately measure elevation and azimuth angles. If
the balloon’s height can be determined then its
position can be found by trigonometry. There are
basically two pilot balloon techniques still in use: (1)
single-theodolite and (2) double-theodolite. In the
former, the elevation and azimuth angles of the
balloon are measured at regular intervals (typically
once per minute). Balloon altitude is determined by
assuming a constant ascent rate that is determined
from the size and free lift of the balloon. Balloon
position is then calculated from the height and the
azimuth and elevation measurements. Tracking the
balloon during a nighttime observation is accom-
plished by attaching a light stick or small battery-
powered light. In the double-theodolite technique two
theodolites are located a known distance apart (the
baseline) and simultaneous observations taken of
the balloon at given time intervals. By measuring the
azimuth and elevation angles to the balloon from the
two known positions, the three-dimensional balloon
position can be determined by the law of sines. The
double-theodolite method enables accurate measure-
ments of the balloon position without assuming a
constant rate of ascent for the balloon, which can be a
source of error. In this method the baseline distance
needs to be accurately measured and should be at least
one-fifth of the maximum range to the balloon. The
baseline should also be perpendicular to the prevailing
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winds. The method is not routinely used because of
baseline restrictions and the cost and difficulty of
coordinating two sets of observers.

Radiotheodolite and radar methods Another track-
ing technique used for determining winds is called
radio direction finding or RDF. During World War II
the US Army Signal Corps developed the first RDF
system, called the SCR-658. This system operated at
400MHz and used two separate operators to steer a
large antenna array to determine the direction of the
radiosonde transmitter. A more modern radio direc-
tion finding antenna automatically tracks the
1680MHz telemetry signal transmitted from the
radiosonde. The antenna azimuth and elevation data
are sent to a computer at the ground station alongwith
the pressure height data from the radiosonde to
determine the change in radiosonde position (winds)
during flight. The RDF technique (Figure 5) is the
radio frequency equivalent of the optical theodolite
method, and the tracking system is called a radiothe-
odolite. There are different types of RDF antennas,
including 2–3m diameter dish antennas and phased-
array flat-plate antennas. RDF systems can resolve the
azimuth and elevation angles to within 0.051. If the
upper-level winds are high then the radiosonde will be
a long distance away, resulting in the antenna eleva-
tion angle being near the horizon. At stations that
experience high winds, the radiosondes can be
equipped with a transponder to measure slant range
or distance to the radiosonde. Winds can then be
determined using azimuth, elevation, slant range, and
height of the radiosonde. A similar method for
tracking the radiosonde uses a radar reflector on the
balloon flight train so that it can be tracked by

windfinding radar. Slant range to the radiosonde is
measured by the radar aswell as azimuth and elevation
angles. Radar windfinding is a common method used
in many countries around the world; in 1998 about
45% of the stations used radar, as tallied in Oakley
(1998).

In the Russian and Chinese upper-air networks a
combination RDF-transponder method is used, called
secondary radar. Some 200 such systems are deployed
worldwide. The parabolic or array-type RDF antenna
transmits a short pulse that is received by the radio-
sonde. The radiosonde then ‘wakes up’ and retrans-
mits the pulse by transmitting the temperature and
humidity data, which are received by the ground-
based RDF antenna. The RDF antenna azimuth and
elevation angles are measured and the slant range is
determined from the travel time of the pulse. Second-
ary radar systems use radiosondes that do not have a
pressure sensor; pressure is calculated from the
hydrostatic equation.

Navigation aids (NAVAIDS) The use of navigation
aids for obtaining upper-air winds from radiosondes
began in the early 1960s. The US Weather Bureau
(now the National Weather Service of the National
Oceanic and Atmospheric Administration, an agency
of the US Department of Commerce) sought to find a
way to measure winds at sea for the Ships of
Opportunity Program. At that time the only way to
measure winds aloft at sea was with a radar or RDF
system; both systems were costly and required a
mechanical stabilization system for the tracking
antenna. In 1964, the bureau awarded a contract to
Beuker’s Laboratory Inc. (BLI) of New York to
develop a windfinding system using retransmitted
Loran-C navigation signals to track the radiosonde.
The technique proved successful. Owing to the limited
coverage of Loran-C, two years later the worldwide
Omega navigation system was proposed as an alter-
native for windfinding. Radiosondes that use these
NAVAID signals to determine winds contain a small,
inexpensive radio receiver to receive the navigation
signals from fixed ground stations. The radiosonde
then retransmits (Figure 6, usually at 400MHz) the
signals to the data processing system at the ground
station. There are at present three types of NAVAID
signals in use: (1) Loran-C, (2) very low-frequency
(VLF) systems, and the (3) Global Positioning System
(GPS).

Loran-C coverage has increased since 1964, but
because its primary use is for coastal navigation it does
not provide worldwide coverage. Loran-C stations
transmit a unique series of pulses at 100 kHz that
identify each station. If the radiosonde receives and
retransmits signals from at least three stations, then
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Figure 5 Angle-dependent tracking system.
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the data processing system at the ground station can
determine the time of arrival of those signals at the
radiosonde and its distance from each ground station.
Winds are determined from the change in position of
the radiosonde.

The other class of ground-transmitting navigation
systems is theVLF systems. These operate in the 10–30
kHz frequency range and their long-wavelength
signals are characterized by low attenuation and the
ability to propagate long distances; this allows world-
wide coverage with a minimum number of ground
transmitters. The Omega navigation system was the
most widely used VLF system for both navigation and
windfinding until it was closed down on 30 September
1997 because of cost considerations and the emer-
gence of more accurate GPS windfinding systems.
However, other VLF stations operated by US and
Russian defense agencies continue to operate. VLF
windfinding is similar to Loran-C, except for the
difference in radio frequency and the corresponding
decreased windfinding accuracy of VLF.

The third type of NAVAID windfinding system uses
signals from the so-called Global Positioning System
(GPS) satellites. GPS was conceived in the early 1970s
for the US Department of Defense (DOD), and is
operated by the US Air Force. The GPS system became
fully operational in late 1995. There are 24 satellites in
six orbital planes spaced 60 degrees apart. The
satellites are in a 20 200 km circular orbit, with an
inclination angle of 551 and a periodicity of 12 hours.
At any time or place in theworld, there are 6 to 11GPS
satellites 51 or more above the horizon and hence
usable for GPS windfinding. There are two primary
GPS techniques for determining winds from radio-
sondes. The GPS signals cannot be retransmitted from

the radiosonde back to the ground because the
bandwidth of the 1575MHz (called the L1 band)
GPS carrier signal is too wide (B2.0MHz). The
worldwide civilian use ofGPShasbecome so great that
many manufacturers produce inexpensive, small GPS
receivers each the size of a credit card that can decode
the navigation message every second and produce
accurate three-dimensional position coordinates, as
well as speed and heading. A second, less expensive
method uses a codeless receiver in the radiosonde that
measures only the Doppler shift of the carrier fre-
quency.TheDoppler shift has two components: (1) the
Doppler shift due to the satellite motion (i.e., the
largest component), and (2) the Doppler shift due to
radiosonde movement. The radiosonde receiver sends
the Doppler information back to the ground data
system. The ground data systemmust have a local GPS
receiver that can decode the GPS message and inde-
pendently measure the Doppler shift from each sate-
llite. The satellite Doppler shift is subtracted from the
radiosonde Doppler shift and the difference yields the
radiosonde motion.

Specialized Types of Radiosonde
Systems

Dropsonde

The dropsonde is the airborne counterpart to the
conventional radiosonde (sometimes also called an
upsonde). Dropsondes are ejected from research
aircraft and float to earth on a special balloon-like
parachute. Current state-of-the-art dropsonde sensors
include capacitance fine-wire sensors to measure
temperature, capacitance silicon pressure sensors,
and GPS receivers to measure winds. Humidity is
measured with a pair of thin-film capacitance sensors
that are heated alternately to avoid condensation on
descent from colder to warmer air. All measurements
are made twice every second, while the 400 g drop-
sonde falls at an initial rate of about 25m s� 1 at 15 km
altitude, decreasing to about 10m s� 1 at sea level.
Dropsonde data are transmitted by radio from the
sonde to a data system in the aircraft. Atmospheric
soundings from dropsondes provide the ability to
measure conditions over remote areas such as the
oceans, polar regions, and sparsely inhabited land-
masses; they also provide ameans to obtain soundings
in and around severe weather systems, such as
hurricanes. Atmospheric soundings obtained from
dropsondes during hurricane reconnaissance
flights have improved the accuracy of forecasts of
hurricane landfall by about 20% over the decade of
the 1990s.

Free-floating
sensor

NAVAID
grid

Receiving
equipment

Radio link

Figure 6 NAVAID retransmission system.
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Dropsondes were first developed in the 1960s for
the US Navy and Air Force for hurricane reconnais-
sance and were an adaptation of radiosonde techno-
logy. These early dropsondes were heavy – about
2.5 kg – and did not have inherent windfinding
capability; windfinding at that time still used only
radar or RDF. With the development of Omega
NAVAID windfinding technique for the radiosonde it
became possible to incorporate that technology into
the dropsonde. This occurred in 1974 when the
National Center for Atmospheric Research (NCAR)
developed anOmegaDropwinsonde (ODW) for use in
the Global Atmospheric Research Program’s Atlantic
Tropical Experiment. In 1982, the Air Force adopted
the ODW system for hurricane reconnaissance and
this system was used until the early 1990s.

In 1985 NCAR began development of a smart (i.e.
microprocessor-based), lightweight digital dropsonde
that incorporated Loran andOmegawindfinding. The
Omega version of this dropwinsonde was adopted by
the US Air Force in the early 1990s for its hurricane
reconnaissance mission (Figure 7). The next major
improvement in dropsonde technology occurred in
1995 when NCAR completed development and test-
ing of a new GPS dropsonde with codeless GPS
windfinding capability and an advanced aircraft data
system (AVAPS). In 1996 NCAR licensed Vaisala Inc.
of Woburn, Massachusetts, to commercialize produ-
ction and sales of the GPS dropsonde (Figure 8) and
AVAPS. In the relatively short time the GPS dropsonde
has been in use it has found research applications in the
determination of hurricane structure and motion, the
study of clear-air turbulence associated with upper-
level jet stream structure, and observing strategies for
midlatitude weather forecasting. Current adaptations

of the GPS dropsonde technology are focusing on
launches at higher altitudes – including the lower
stratosphere – as well as autonomous launches that
eliminate the need for operators to launch the sonde
and record the data, and offer the promise that it will
be possible one day to obtain operational drop-
winsonde profiles from commercial aircraft. Figure 9
shows a test dropsonde launcher mounted on the
underside of an ER-2 high-altitude weather research
aircraft.

Driftsonde System

Improvements in short- and medium-range synoptic-
scale weather forecasts will depend on improved
upper-air soundings over the data-sparse regions of
the Northern and Southern Hemispheres. Progress
towards this objective will require the optimal use of
existing data sources, creative new observing meth-
ods, and improved numerical methods for data
assimilation. The driftsonde system is being developed
as a cost-effective sounding system that could fill these
critical gaps in data coverage over oceanic and remote
arctic and continental regions. The driftsonde concept
seeks to obtain a large number of high-vertical-
resolution GPS dropsonde profiles through the lower
stratosphere and the entire troposphere by autono-
mous launchingof dropsondes from specially designed
balloon platforms. The driftsonde system includes a
polyethylene carrier balloonwith an attached gondola
(Figure 10) that carries a payload of up to 24 GPS
dropsondes. The carrier balloon ascends to between
50 and 100 hPa (20 and 16 km) and then drifts in the
prevailing stratospheric westerlies for up to five days,
deploying dropsondes at prescribed and special
times over data-sparse regions of interest. The first

Figure 7 USAF C-130 Hurricane Hunter launching a GPS dropsonde.
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application of the driftsonde system will be in support
of The Hemispheric Observing System Research and
Predictability Experiment (THORPEX), a five-to-ten-
year international program of atmospheric observing

system research and development, and experimenta-
tion with numerical forecast systems that will be
conducted in the 2002–2010 time frame.

Automated Shipboard Aerological Program (ASAP)

The Automated Shipboard Aerological Program
(ASAP) is a multinational effort initiated by Canada
in 1982 to obtain upper-air soundings over the oceans.
Omega NAVAID radiosondes are launched from
commercial ships of opportunity using a specially
designed launch system (Figure 11) that permits flight
trains to be launched in high-wind conditions. The
upper-air sounding data from the radiosonde are sent
back to the shipboardASAP systemwhere the data are
processed in near real time to create a TEMP SHIP
message. This message is the ocean equivalent of the
TEMP message generated for land-based RAOB
systems. The ASAP system sends the message to a
GOES geostationary satellite that relays the informa-
tion to the Global Telecommunications System (GTS),
which then transmits it to the numerical weather
prediction centers around the world.

The ASAP program had its beginning in June of
1981,whenCanadadecided todiscontinue itsweather
ship program owing to the high costs of operating and
maintaining the ocean weather ship PAPA located in
the Gulf of Alaska at 501N, 1451W. The original
intent was to replace the weather ship data with
satellite observations; however, persistent cloudiness
in areas such as the Gulf of Alaska and the North
Atlantic, coupled with the lack of surface weather
data, made this goal impossible to attain. To remedy
this problem, the Atmospheric Environment Service
(AES) of Environment Canada, the National Weather

Figure 8 GPS dropsonde descending on its parachute.

Figure 9 Remote-controlled GPS dropsonde launcher system installed on the NASA ER-2 high-altitude weather research aircraft.

RADIOSONDES 1909



Service (NWS) of NOAA, and NCAR established a
joint ASAP project to develop a modular, mobile,
moderately priced, upper-air sounding system. This
system, when placed on commercial vessels (ships-of-
opportunity) routinely crossing the Pacific and Atla-
ntic oceans, provides real-time upper-air soundings
that complement those of the global land-based upper-
air network.

The ASAP program operated by AES Canada
started in the spring of 1982 with one commercial
ship (a Japanese automobile carrier) that operated
fromVancouver, British Columbia, to Japan. By 2001,
it had evolved into an international program with 11
countries operating 22 ASAP units – see Table 2.
Since 1994, the ASAP program has made about 5300
upper-air soundings per year. In 2001 a lengthy
Southern Hemisphere route was inaugurated with
port calls in Germany, the UK, South Africa, Australia
(both east and west coasts), New Zealand, and South
America.

Rocketsonde

The rocketsonde is similar to adropsonde except that a
rocket is used to carry the sonde to the desired
deployment altitude where the sonde is ejected and
floats to Earth on a small parachute. Two types of
rocketsondes are in use today, and are classified
according to their maximum altitude. High-altitude
rocketsondes are used primarily by the military and
use a large rocket to carry the sensor package to
altitudes in excess of 70 km. The Super Loki solid-fuel
rocket motor is typically the launch vehicle for high-
altitude rocketsonde deployments. Twometers long, it
accelerates to 1500m per second, and delivers its
meteorological payload above the stratosphere into

the mesosphere. The typical payload package, called a
dart, is approximately 1.1m long with an inside tube
diameter of less than 5 cm, and contains the meteor-
ological sonde. After the rocket motor burns out, the
dart continues to coast to an altitude ranging from 70
to 110 km. At apogee, a timed detonation of a small
explosive charge located in the tail of the dart ejects the
meteorological payload, which then begins its para-
chute-aided descent. The payload consists of either a
meteorological sensor package – the rocketsonde – or
an inflatable sphere. The high-altitude rocketsondes
often contain a transponder, a miniature receiver–
transmitter that can be tracked by a radio direction
finding and ranging system to determine winds and
altitude. The inflatable sphere provides atmospheric
density data, obtained from its fall velocity as deter-
mined by a precision tracking radar.

The second type of rocketsonde is smaller and less
expensive, and is used to measure only thermodynam-
ic variables in the lower 1–3 km of the atmosphere
above earth. The Vaisala RK91 low-altitude rocket-
sonde (Figure 12) is primarily designed for naval
shipboard operations that require observations of the
refractive index profile near the ocean surface, but can
also be used over land where only thermodynamic
data are required. The RK91 can be prepared for
launch in less than 10min; it reaches apogee in less
than 20 s, and provides a detailed thermodynamic
profile with 1 s resolution. After ejection of the sonde
payload, the sonde drifts on a parachute to the surface
from an altitude of 1 km in less than 6min. Vertical
resolution is dependent on the rate of descent (typi-
cally 3m s� 1), rate of data transmission (1Hz) and
sensor response time. At temperatures above freezing,
vertical resolution is about 3m.
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Figure 10 The driftsonde system concept.
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Appendix

Historical milestones leading to the development of
the modern meteorological radiosonde

Year Milestone

1643 Evangelista Torricelli invents the barome-
ter in Florence, Italy.

1648 French mathematician Blaise Pascal ob-
serves the decrease of atmospheric pressure
with altitude.

1749 Alexander Wilson, Glasgow, Scotland,
uses kites to study the variation of temper-
ature with altitude.

1783 The French Montgolfier brothers, Joseph-
Michel, and Jacques-Étienne invent the
hot-air balloon.

1783 Jacques Alexandre Césare Charles, Paris,
France, uses a manned balloon to make
the first measurements of variations
of pressure and temperature with
altitude.

1784 Englishman John Jeffries, London, and
Frenchman Jean-Pierre Blanchard begin
the systematic study of the atmosphere
using manned balloons.

1804 French physicists Louis Gay-Lussac and
Jean Baptiste Biot ascend to 7 km in a

Figure 11 The ASAP system is housed in either a standard 3m (shown above) or 6m sea container with a specially designed hatch to

enable routine radiosonde launches in sustained winds up to 25ms� 1 (gusts up to 35ms� 1). (Bottom part) Worldwide ASAP radio

soundings for November 2001.
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balloon and discover that water vapor
decreases with altitude.

1822 Englishmen Sir Edward Parry and the Rev.
George Fisher use kites with recording
thermometers to study the Arctic atmo-
sphere.

1847 WilliamRadcliff Birt is the first to measure
winds aloft (and temperature) with a kite
flown from Kew Observatory, London.

1892 Frenchmen H. Hermite and G. Besançon
launch the first free-flying weather balloon
with mechanical recording system (the
‘meteorograph’).

1893 Lawrence Hargrave, Sydney, Australia,
invents the box kite; by end of decade,
many major observatories are using box
kites routinely to measure the atmosphere;
they include: Blue Hill (near Boston, Mas-
sachusetts), the Central Physical Observa-
tory (Moscow), Trappes (near Paris), Kew
(London), Lindenberg (Germany), and
Ilmala (Helsinki).

B1900 British scientist W. H. Dines invents the
mechanical meteorograph design that is
widely used until 1939.

1901 Richard Assmann, Germany, is first to use
‘extensible’ rubber balloons for free-flying
soundings with meteorographs.

1917 Germans F. Herath and M. Robizsch use
the ‘telemeteorograph’ to transmit mete-
orological data from a kite using the steel
kite cable as the signal cable.

1920 US Weather Bureau and Army Air Corps
establish a program of daily upper-air
soundings using airplanes at 20 locations
nationwide.

1921 US Weather Bureau establishes a kite
network for routine upper-air observa-
tions; this remains in operation until 1933.

1927 M. R. Bureau andM. Idrac (France) invent
the ‘shortwave’ (RF) tube-type transmitter
and publish a paper describing the flight of
their first balloon-borne sonde (although it
is unclear whether any meteorological
variables were actualy measured). Their
paper is the first documented use of the

18 in8
45.7 cm7

227 in
688.6 cm

67 cm

Figure 12 Low-altitude rocketsonde unit with detached sonde descending on parachute (insert).

Table 2 Number of ASAP units operating in 1989 and 2001

Country Number of ASAP units

Year 1989 2001

Australia/UK/USA (Southern

Hemisphere)

1

Canada 5a

Denmark 2 2

EUMETNET 2

Finland 1

France 4 4

Germany 4 3

Iceland/Sweden 1

Japan 5

Russia 1

Spain 1 1

United Kingdom 2 1

United States of America 5a 1

aJointly supported by Canada and US.
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term ‘radiosonde,’ which they attribute to
H.Hergesell (president of the international
aerological commission).

1929 January 17:M. Idrac andM.R. Bureau test
the first free-flying radiosonde, called the
‘Thermoradio’, with a bi-metallic temper-
ature sensing element to transmit temper-
ature data to a ground station.

1930 January 30: P.A.Moltchanov (Russia) uses
a radiosonde to measure temperature and
pressure to a height of 10,000m from
Slutzk. From 1930 to 1936 several thou-
sand soundings were made in the USSR
with the Moltchanov radiosonde.
May 8: M.R. Bureau launches a radio-
sondemeasuring temperature and pressure
from Trappes, France, reaching an altitude
of 14,400m.
May22: P.Duckert (Germany) flies the first
radiosonde measuring pressure, tempera-
ture and humidity to a height of 15 000m
from the Aerological Observatory at Lin-
denberg.

1931 December 30: Prof.VilhoVäisälä (Finland)
flies a radiosonde fromHelsinki telemeter-
ing temperature to the ground up to a
height of 7 km; like Duckert, Väisälä
used the measuring elements to control
the capacitance of the radio oscillator
circuit.

1936 July 30: Prof. Väisälä establishes the
Väisälä Company and delivers the first
commercial order for 20 radiosondes,
delivered to Prof. Carl Gustav Rossby
at the Massachusetts Institute of
Technology.

1974 The National Center for Atmospheric
Research (Boulder, Colorado) develops
the dropsonde, a special radiosonde that
is launched from research aircraft and
measures winds, pressure, temperature,
and humidity while descending on a para-
ċhute.

1976 The Vaisala Oy company (Helsinki) intro-
duces the first computer-controlled upper-
air sounding systems.

1982 The US National Oceanographic and At-
mospheric Administration begins routine
use of dropsondes for hurricane research;
one year later, the US Air Force initiates its
hurricane reconnaissance program.

1995 The first commercial radiosonde systems
using the satellite Global Positioning
System to measure winds are introduced
by the Atmospheric Instrumentation
Research company (Boulder, Colorado)
and the Vaisala Oy company (Helsinki).

See also

Observation Platforms: Kites; Rockets. Observations
forChemistry (RemoteSensing):Microwave.Satellite
Remote Sensing: GPS Meteorology.
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Introduction

‘Albedo’ is Latin, meaning whiteness. The albedo of a
surface is the fraction of the incident sunlight that the
surface reflects. Radiation that is not reflected is
absorbed by the surface. The absorbed energy raises
the surface temperature, evaporates water, melts and
sublimates snow and ice, and energizes the turbulent
heat exchange between the surface and the lowest
layer of the atmosphere. The surface albedo is a key
ingredient in the remote sensing of surface and
atmospheric properties from space. The spectral and
angular dependence of reflected sunlight is used to
infer surface properties such as the extent and nature
of vegetation cover. It must also be allowed for when
determining atmospheric composition such as the
amount, size, and optical properties of haze particles.
Over continents, the largest component of the reflect-
ed sunlight under cloud-free conditions is due to
reflection by the surface. Consequently, the determi-
nation of atmospheric composition from reflected
sunlight requires accurate knowledge of the contribu-
tion made by the reflecting surface.

Different surfaces have different albedos. Oceans,
lakes, and forests reflect relatively small fractions of
the incident sunlight and have low albedos. Snow,
sea ice, and deserts reflect relatively large fractions
of the incident sunlight and have large albedos. While
estimates of albedos for various surfaces are presented
later (Table 3), it should be recognized that an
albedo is not an intrinsic property of a surface.
Instead, for any surface, the albedo depends on the
spectral and angular distributions of the incident light,
which in turn are governed by atmospheric composi-
tion and the direction of the beam of light from
the sun.

Ideally, surfaces may be broken into components,
each component reflecting light following its own
intrinsic optical rules for the wavelength and angular
dependence of reflection. In practice, however, when
viewed at the few-meters to several-kilometers reso-
lution typical of spaceborne sensors, surfaces exhibit
complex mixtures of components and geometric
structures. At such scales, surfaces can contain any
mixture of soil, vegetation, twigs, branches, rocks,
snow, ice, water, and so on. The list is seemingly
endless. Even if the scene is spatially uniform, refle-

ction by the individual surface elements, such as grains
of sand in a desert, or snowflakes in a drift, can be so
difficult to treat according to the principles of optics as
to render predictions of reflectance futile. In addition,
topography and the consequent shading add further to
the complexity. Thus, for practical treatments, surfac-
es are reduced to having few components, even as few
as one or two, and both the spectral and angular
distributions of the reflectances for the individual
components are highly simplified.

Simplifications of the spectral dependence of surface
reflection are often dealt with through use of wave-
length intervals over which the reflectivity of the
surface remains reasonably constant. Simplifications
of the angular dependence of surface reflection are
often dealt with through the separation of the incident
light into two components: one for the direct beam of
incident light, which is the sunlight that has not been
absorbed or scattered in the atmosphere; and one for
incident sunlight that has been scattered into direc-
tions that differmarkedly from that of the direct beam.
These simplifications are used below in combination
with a global inventory of surface types to produce
global maps of surface albedos. These maps, however,
should be taken as providing only rudimentary
estimates. Because of the complexities noted earlier,
systematic attempts to construct global maps of
surface albedos from satellite observations are just
now being undertaken.

Physical Processes that Shape the
Surface Albedo

Insight into the spectral and angular dependence of
surface reflection can be gained by considering a few
fundamental principles. To begin, light is reflected at
interfaces between media with distinct indices of
refraction. If the media and the surface dividing the
media have properties which are spatially uniform
over scales large enough for individual surface ele-
ments to be treated as planar then the reflection is
described by Fresnel’s laws. The angle of reflection for
a particular surface element is equal to the angle of
incidence. The fraction of reflected light depends on
wavelength according to the optical properties of the
two media.

Many surfaces in nature, on the other hand, are
composed of elements that have scales comparable to
the wavelength of the incident light, such as grains of
soil and sand, snowflakes, air bubbles in ice, etc. In
principle, reflectances for such surfaces can be arrived
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at through radiative transfer calculations. The reflect-
ed radiances adopt an angular pattern that is typical of
light that has suffered multiple scatterings. Multiple
scattering patterns also arise for surface elements that
are spatially uniform, such as the leaf of a plant, but
each element, through its orientation with respect to
the incident light, may reflect light differently from
similar elements nearby. If the elements are not
strongly absorbing, then light reflected by one surface
element may be reflected by another. Likewise, with
Fresnel reflection, if the interface is spatially varying
then reflection from one portion of the surface may be
reflected by another portion. However, if a surface
element is strongly absorbing, then the reflection
approximates single scattering. For single scattering,
the angular distribution of the reflected light can be
described in terms of a single angle, the scattering
angle. Multiple scattering and multiple reflection give
rise to reflected light that cannot be described in terms
of a single angle.

Figure 1 illustrates the conventions used here to
specify the directions of the incident and reflected
light. In the figure, light from the sun is shown to be
incident on a surface in the XY plane. The incident
sunlight is taken to be in theYZplane. The orientation
of the axes is arbitrary, and positioning the axes with
the incident sunlight in the YZ plane places no
restrictions on the outcome. The angle between the
direction to the sun and the normal to the surface is
referred to as the solar zenith angle, y0. The view
zenith angle, y, is the angle between the direction of the
observer and the normal to the surface. The relative
azimuth angle, f, is the angle between the direction of
the incident sunlight and the direction of the reflected
light when projected in the plane containing the
reflecting surface, the XY plane. In Figure 1, the
relative azimuth angle is 01 for an observer facing
the sun and 1801 for an observer with their back to it.
This convention for the relative azimuth angle is often
used for radiative transfer in the atmosphere. The
convention is opposite that often used in the descrip-
tion of land surface processes. In describing land
surfaces, the relative azimuth angle is often the angle
between the observer and the sun: 1801 with the
observer facing the sun and 01with the observer’s back
to the sun.

The geometry illustrated in Figure 1 also applies for
an arbitrary source of light incident on the surface. For
instance, scattered sunlight may strike the surface
from a direction markedly different from that of the
direct sunlight. Scattered light will have its own zenith
angle, y0, and its own azimuth angle, f0, relative to the
direction of the unscattered beamof light from the sun.

By definition, the spectral albedo, al, which is the
albedo for monochromatic radiation at wavelength l,

is given by

al ¼ Fþ
l

F�
l

½1�

where F�
l is the flux of light incident on the surface and

Fþ
l is the flux of light reflected by the surface. Radiative

flux is the power per unit area per unit wavelength
interval that is incident on or reflected by the surface.
Radiative flux is often referred to as irradiance. The
units of radiative flux are Wm�2 mm�1. The broad-
band albedo, or simply the albedo, is likewise given by
the ratio of the total radiative fluxes,

a ¼ Fþ

F� ½2�

where the integration over wavelength is performed
separately for the incident and reflected radiative
fluxes prior to taking the ratio. The total fluxes or total
irradiances give the total radiative power per unit area
incident on or reflected by the surface. The units of
total radiative flux are Wm� 2.

Asmentioned in the introduction, the albedo gives the
fraction of sunlight reflected by the surface. The fraction
absorbed by the surface is thus given by the fraction not
reflected, ð1� aÞF�. It is this energy that raises the
surface temperature, evaporates water, spawns turbu-
lent exchange with the overlying atmosphere, etc.
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Figure 1 Orientation of incident sunlight and reflected light. y0 is
the solar zenith angle, y the view zenith angle, f the relative

azimuth angle, andY the scattering angle. The incident sunlight is

taken to be in the YZ plane.
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The radiative fluxes, in turn, are given by the specific
intensities. The specific intensities are often referred to
as radiances. In terms of the incident and reflected
radiances, I�l ðy; fÞ, the fluxes are given by

F�
l ¼

Z 2p

0

df
Z p=2

0

dy sin y cos y I�l y;fð Þ ½3�

The specific intensity is the radiative power per unit
area per unit wavelength per unit solid angle flowing
through a surface perpendicular to the direction of
propagation (Goody and Young 1989). The solid
angle associated with the radiance is the angle that the
area for which the radiance is defined subtends at the
source of the light. The solid angle arises because light
propagates in a straight line after leaving its source and
the source is taken to be at a point. Consequently, the
intensity falls as the inverse of the square of the
distance from the source, and this dependence is
carried by the solid angle. The increment of solid angle
in eqn [3] is given by dO ¼ sin y dy df. The cos y
factor in [3] accounts for the projection of the area for
which the radiance is defined onto the surface for
which the radiative flux is defined. This projection is
equivalent to projecting the shade of the area associ-
ated with the radiance onto the area associated with
the flux.

The first approximation to surface reflection is that
the surface reflects isotropically. That is, the reflected
intensity is independent of view zenith and relative
azimuth angles, and is simply related to the incident
flux. From eqn [3], for isotropic reflection, Fþ

l ¼ pIþl ,
and consequently,

Iþl ¼ alF�
l

p

Such a surface is called Lambertian.No surface is truly
Lambertian. Those that come closest are extensive
fields of snow and ice. Snow and ice absorb little
sunlight at visible wavelengths. As a result, multiple
scattering is possible. The angular dependence of the
reflected light is reduced as the number of scatterings
increases. Even though isotropic reflection is not
common, isotropic reflection is often adopted as an
approximation because it simplifies estimates of the
reflected intensities, Iþl .

Fresnel reflection describes the reflection of light at
the boundary of two media with distinct indices of
refraction when the media are uniform at all spatial
scales, including length scales that are small compared
with the wavelength of the light, and the surface
separating the media can be taken to be a plane. For
Fresnel reflection, the angle of reflection is equal to the
angle of the incident light: the view zenith angle is
equal to the zenith angle of the source, and the relative

azimuth angle is zero for the direction of specular
reflection. Fresnel reflection is often adopted for water
and ice surfaces. To capture the undulation of water
and ice surfaces, distributions are used for the orien-
tation of the surface elements with respect to the
direction of the incident light. The effect of a distri-
bution of orientation is to produce a distribution of
reflected intensities that peaks near the direction of
specular reflection by a flat surface and falls with the
angle measured with respect to the direction of
specular reflection. For oceans, the bright pattern of
reflected sunlight near the direction of specular reflec-
tion is referred to as sun glint.

In addition to Fresnel reflection, all surfaces,
including water and ice, have internal elements with
sizes comparable to the wavelengths of incident
sunlight. These elements scatter light and contribute
to the light reflected by the surface. In oceans,
minuscule variations in density, air bubbles, particles
of sand and dust, organic compounds, and micro-
scopic organisms all give rise to scattered light. On
land, the scattering is by grains of sand and particles of
soil. If these internal elements absorb most of the
incident light, then the reflected light can be approxi-
mated as being due to single scattering. The intensity
of the reflected light becomes a function only of the
scattering angle, which for the orientation illustrated
in Figure 1 is given by

cos Y ¼ sin y sin y0 cos f� cos y cos y0 ½4�

The distribution of scattered light is specified in terms
of a probability distribution function, referred to as a
scattering phase function. P Yð Þ sin Y dY=2 is the
fraction of the scattered radiation that has been
scattered through scattering angle Y and into an
incremental ring of solid angle given by
dO ¼ 2p sin Y dY. The phase function is defined so
that it is unity for isotropic scattering, and it is
normalized so that

1

2

Z p

0

dY sin YPðYÞ ¼ 1

Because the elements which give rise to the largest
component of scattered light are often larger than the
wavelength of the incident sunlight, the scattering is
typically anisotropic. The Henyey–Greenstein phase
function provides a convenient prescription for the
distribution of light that is scattered anisotropically
and is given by

Pðg; YÞ ¼ 1� g2

ð1þ g2 � 2g cos YÞ3=2
½5�
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where g is adjusted to give the proper degree of
anisotropic scattering. g is referred to as the asymme-
try parameter. It is the average cosine of the scattering
angle and is given by

g ¼ cos Yh i ¼ 1

2

Z p

0

dY sin Y cos YPðg; YÞ ½6�

For g ¼ 0, the scattering is isotropic; for go0, most of
the radiation is scattered in the direction of backscat-
tering, toward an observer with their back to the
source, and for g > 0,most of the radiation is scattered
in the direction of forward scattering, toward an
observer facing the source.

If absorption is not strong, light can be scattered
more than once before it leaves a surface. Likewise,
light reflected from one portion of a spatially varying
surface can be reflected by another portion on its
upward path towards the atmosphere. The simplest
treatment of the multiply scattered component was
offered byMinnaert, who attempted to fit reflectances
observed for Mars. The reflectance was taken to be
given by

rðy0; yÞ ¼ r0 cosk�1 y0 cosk�1 y

where k and r0 are adjusted to give the observed
reflectances. With multiply scattered and reflected
light, the angular distribution is no longer a functionof
the scattering angle only.

The effects of single scattering, multiple scattering,
and an additional refinement for light reflected in the
backward direction, scattering angles near 1801, have
been bundled to form an empirical, analytic expres-
sion for surface reflectance. Following Rahman et al.
(1993), reflection by a land surface is taken to be given
by

rðy0; y;fÞ ¼ r0
cosk�1 y0 cosk�1 y

ðcos y0 þ cos yÞ1�k
Pðg; OÞ

�ð1þ RðG;DÞÞ ½7�
where Pðg; OÞ is the Henyey–Greenstein phase func-
tion given by [5] and

RðG;DÞ ¼ 1� r0
DþG

½8�

with

Gðy0; y; fÞ
¼

ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
tan2 y0 þ tan2 y� 2 tan y0 tan y cos f

q
In [7] r0; k; g; andD are parameters that are adjusted
to achieve the best agreement with observed reflect-
ances. The reflectance, rðy0; y; fÞ, is called the bidi-

rectional reflectance distribution function (BRDF).
The function RðG; DÞ peaks sharply, depending
on the value of D, in the direction of backscattered
light,Y ¼ 180�. It is included to treat the ‘hot spot’ or
‘Heiligenschein’ in the reflection pattern for land
surfaces. The peak in reflectances arises as a result of
the absence of shadows when the surface is viewed
from the direction of backscattered light. The peak
is often observed when looking out of the window of
an airplane flying over land. With the sun on the
opposite side of the plane, the peak surrounds the
shadow of the plane as it appears on the land surface.
In eqns [7] and [8], D is adjusted to fit the reflectance
for the hot spot; otherwise, D ¼ 1 serves as a default
value.

Figure 2 shows an example of the bidirectional
reflectance distribution function for a homogeneous
field of clover. In the diagram, the length of the radius
represents the view zenith angle; the polar angle
represents the relative azimuth angle. The reflectances
are for incident light with a zenith angle of 451. The
parameters used to obtain these reflectances are taken
from Rahman et al. (1993) and are given in Table 1
along with parameters for other surfaces. The para-
meters were derived by fitting [7] to observations of
bidirectional reflectances. Only in the case of clover is
the hot spot treated through an adjustment of the value
of D.

In the field, surface albedo measurements are made
using a combination of instruments, positioned either
on tripods, of order 3m in height, or on towers, of
order 20m or greater in height. The instruments
include various combinations of spectral and broad-
band narrow-field-of-view radiometers to measure
specific intensities and radiances integrated over all
wavelengths, and spectral and broadband pyranome-
ters tomeasure radiative fluxes and the radiative fluxes
integrated over all wavelengths, or total radiative
fluxes. The narrow-field-of-view radiometers provide
information on the directional dependence of the
incident and reflected light, while the pyranometers
are used tomeasure the incident and reflected radiative
fluxes. Often, one set of instruments is deployed to
measure reflected radiances and irradiances, another
to measure the incident flux. The difficulties that arise
in measuring surface reflectances and albedos include
the spatial heterogeneity of the surface, the spectral
and angular responses of the various instruments, the
radiometric calibration of the various instruments,
and effects due to shading of the surface by the
structure supporting the instruments. Despite the
difficulties, careful measurements of surface albedo
have been shown to be repeatable to within 70.02.

For the example shown in Figure 2, the reflectances
were measured at visible wavelengths, 0.45–0.68mm,
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and near-infrared wavelengths, 0.73–1.1 mm. The hot
spot occurs at a view zenith angle of 451, the zenith
angle of the incident light.Most of the reflected light is
distributed in the direction of backscattered radiation,
go0. The parameters given in Table 1 indicate that
this is common for several land surface types.

Figure 3 shows the effect of multiple scattering on
the surface reflectance for clover. The effect is revealed
as different values of the BRDF for the same scattering
angle, but different combinations of zenith angles for
the incident light (as indicated by the different sym-
bols), view zenith angles, and relative azimuth angles.
The results suggest that for low sun (large zenith angle
for the incident light), the scattering becomes more
like that for single scattering.

Expressions like [7] appear to offer reasonable
representations for the angular distribution of re-

flected light from surfaces. Such expressions are being
used to construct global maps of surface albedos from
multispectral and multi-angle satellite observations of
land surfaces under cloud-free conditions. The goal is
to characterize the surface albedo to within70.05 or
better in order to reliably estimate the surface energy
budget. In addition, from the spectral and angular
distribution of the reflected radiances, surface condi-
tions are characterized in terms of, for example, the
extent and type of vegetation, or the extent and depth
of snow cover. Of course, to characterize the surface
reflectance, the composition of the atmosphere must
be determined for the times of observation. Atmos-
pheric composition affects the spectral and angular
distribution of the light incident on the surface, as well
as the amount of light reflected by the surface that is
attenuated by the atmosphere.Making corrections for
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Figure2 Bidirectional reflectancedistribution function for visiblewavelengths calculated for clover using eqn [7] and data fromRahman

et al. (1993) as given inTable 1. The radial axis is the view zenith angle, the polar axis the relative azimuth angle. The solar zenith angle is

451. The ‘hot spot’ is thepeak in the reflectanceat a viewzenithangleof �451, in thedirectionof backscattered light, relativeazimuthangle

of 1801.

Table 1 Parameters for the bidirectional reflection distribution function given by [7] and [8]

Surface Visible Near Infrared

r0 k g D r0 k g D

Plowed field 0.076 0.648 � 0.290 1 0.095 0.668 � 0.268 1

Grassland 0.183 0.780 � 0.100 1 0.251 0.784 � 0.083 1

Hard wheat 0.133 0.851 � 0.114 1 0.211 0.718 10.086 1

Lawn 0.026 0.536 � 0.007 1 0.238 0.668 10.015 1

Soybean 0.026 0.642 10.200 1 0.357 0.879 � 0.045 1

Coniferous forest 0.004 0.634 � 0.142 1 0.058 0.525 � 0.179 1

Savannah 0.019 0.868 � 0.241 1 0.091 0.726 � 0.156 1

Pasture land 0.013 0.679 � 0.170 1 0.252 0.766 � 0.033 1

Clover 0.011 0.706 � 0.211 0.207 F F F F

Data taken from Rahman et al. (1993).
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atmospheric effects is a challenging problem for the
remote sensing of surface reflectance.

Surface Albedo

The spectral and angular dependence of the surface
reflectivity in eqns [1] and [7] are often simplified by
(1) describing the spectral dependence in terms of
wavelength intervals for which the surface reflectance
is reasonably constant, and (2) dividing the angular
distribution of the incident light into two components:
a direct component composed of sunlight that has not
been scattered or absorbed, referred to as the direct
beam, and a diffuse component composed of sunlight
that has undergone scattering and is incident with
zenith angles that differ significantly from that of the
direct beam. Following eqn [1], the albedo for the
wavelength interval i is given by

ai ¼ Fþ
i

F�
i

with the flux of radiation incident on the surface given
by F�

i ¼ F�
iDIR þ F�

iDIF, where F�
iDIR is the flux of

radiation incident on the surface due to sunlight that
passes through the atmosphere without being scat-
tered or absorbed, i.e., in the direction of the direct
beam as specified by the solar zenith angle, and F�

iDIF is
the flux due to sunlight that is scattered as it passes
through the atmosphere. Following Briegleb and

Ramanathan (1982), this diffuse radiation is often
taken to be isotropic. Under such conditions, the
surface albedo is specified in terms of a direct
component, which depends on the solar zenith angle,
and a diffuse component. Briegleb and Ramanathan
suggest that the direct component of the surface
albedo, aiðm0Þ, be expressed in terms of the diffuse
component, aiD, as

aiðm0Þ ¼ aiD
1þ d

1þ 2dm0
½9�

where m0 ¼ cos y0 is the cosine of the solar zenith
angle, and y0 and d are adjusted to obtain the observed
dependence of the surface albedoon solar zenith angle.
In eqn [9], the direct and diffuse components of the
albedo are made to be equal when the solar zenith
angle is 601, clearly an approximation. In terms
of the direct and diffuse albedos, the reflected flux is
given by

Fþ
i ¼ F�

iDIRaiðm0Þ þ F�
iDIFaiD ½10�

Note that both the direct and the diffuse fluxes
incident on the surface depend on the solar zenith
angle. Generally, for cloud-free conditions, the diffuse
flux increases as the solar zenith angle increases. In
addition, the downward diffuse flux incident on the
surface is also a function of the surface albedo.
Consistent with the approximations used here, the
flux of diffuse radiation incident on the surface is given
by

F�
iDIF ¼ F�

iDIRaiðm0ÞRiD

1� aiDRiD
þ F�

iDIF0

1� aiDRiD

where RiD is the spherical albedo of the atmosphere
when viewed from the surface and F�

iDIF0 is the diffuse
downward flux for the case in which the surface
albedo is zero. For cloud-free conditions at midlati-
tudes with an average continental aerosol having a
0.55 mm optical depth of 0.1, RiD ranges from
approximately 0.3 at 0.3 mm to approximately 0.03
at 0.9 mm.

The diffuse components of the surface albedos are
specified for five wavelength intervals in Table 2 for
various surface types. For land surfaces, each albedo is
described by two components, one for the primary
cover, typically a vegetative cover, and one for the
secondary cover, typically bare soil. The albedo is
obtained by linearly weighing the contributions of the
two components. The fraction of the primary cover is
given by f ; the fraction of the secondary cover is given
by 1� f. For arable land and deciduous forests, f is
made to depend on season. Values of f and d for each
surface type are given inTable 3. For snow and sea ice,
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Figure 3 Bidirectional reflectance distribution function and scat-
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symbols.
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the albedo depends on the fraction of the area covered
and the thickness of the snowand ice layers. In the case
of snow, it also depends on the age of the snow.
Albedos for fresh snow are higher than those for aged
snow. The values in the table are intermediate between
those for fresh and aged snow. For sea ice, the albedo
can be reduced by the effects of melt ponds on the ice.
The values in the table are for ice free of melt ponds.
For water, the surface albedo is taken to be independ-

ent ofwavelength and the albedo for direct radiation is
taken to be given by (Briegleb et al., 1986)

a m0ð Þ ¼ 0:026

m1:70 þ 0:065
� �þ 0:15

� m0 � 0:1ð Þ m0 � 0:5ð Þ m0 � 1:0ð Þ ½11�

The albedo for diffuse radiation is taken to be 0.06.

Table 2 Spectral dependence of the diffuse component of the albedo for various surfaces

Primary surface Secondary surface

Wavelength interval (mm) 0.2–0.5 0.5–0.7 0.7–0.85 0.85–4.0 0.2–0.5 0.5–0.7 0.7–0.85 0.85–4.0

Mixed farming, tall grass 0.04 0.08 0.24 0.24 0.05 0.1 0.3 0.3

Tall/medium grassland,

evergreen shrubland

0.05 0.10 0.30 0.30 0.08 0.17 0.25 0.35

Short, grassland, meadow and

shrubland

0.03 0.04 0.20 0.20 0.05 0.1 0.15 0.22

Evergreen forest

(needleleaved)

0.03 0.06 0.30 0.30 0.03 0.04 0.2 0.2

Mixed deciduous, evergreen

forest

0.03 0.06 0.30 0.30 0.03 0.04 0.20 0.20

Deciduous forest 0.03 0.06 0.30 0.30 0.07 0.13 0.19 0.28

Tropical evergreen

broadleaved forest

0.03 0.04 0.20 0.20 0.05 0.10 0.15 0.22

Medium/tall grassland,

woodland

0.03 0.05 0.25 0.25 0.05 0.10 0.30 0.30

Desert 0.28 0.42 0.50 0.50 0.15 0.25 0.35 0.4

Tundra 0.04 0.10 0.25 0.25 0.07 0.13 0.19 0.28

Snow 0.76 0.76 0.325 0.325 – – – –

Sea ice 0.75 0.70 0.50 0.50 – – – –

Data taken from Briegleb et al. (1986) and Briegleb and Ramanathan (1982).

Table 3 Solar zenith angle correction factor, d in eqn [9], primary surface coverage, f , and broadband surface albedos for a solar zenith

angle 601

Surface d f Albedoa

Summer Winter Summer Winter

Mixed farming, tall grass 0.4 0.85 0.25 0.16 0.18

Tall/medium grassland, evergreen shrubland 0.4 0.8 0.7 0.20 0.21

Short, grassland, meadow and shrubland 0.4 0.8 0.7 0.21 0.20

Evergreen forest (needle leaved) 0.1 0.8 0.7 0.12 0.13

Mixed deciduous, evergreen forest 0.1 0.8 0.6 0.16 0.16

Deciduous forest 0.1 0.8 0.5 0.17 0.18

Tropical evergreen broadleaved forest 0.1 0.9 0.6 0.12 0.15

Medium/tall grassland, woodland 0.4 0.8 0.5 0.15 0.18

Desert 0.4 0.5 0.5 0.36 0.36

Tundra 0.1 0.4 0.3 0.17 0.17

Snow 0.0 – – 0.66 0.66

Sea ice 0.0 – – 0.62 0.62

Ocean – – – 0.07 0.07

Data taken from Briegleb et al. (1986).
aAlbedos were calculated for cloud-free conditions using midlatitude profiles of temperature, humidity, and ozone for summer and winter

conditions. Values of the broadband surface albedo depend on seasonal surface coverage, f , solar zenith angle, and radiative properties

of the atmosphere.
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Figure 4 Maps of diurnally averaged surface albedos under cloud-free conditions for Northern Hemisphere summer (A) and Northern

Hemisphere winter (B) solstices derived using an inventory of surface types and eqns [2] and [9]–[11], with values of the spectral albedos,

solar zenith angle correction factor, d , and fraction covered by primary surface type, f , from Briegleb et al. (1986) and Briegleb and

Ramanathan (1982) as given in Tables 2 and 3. The maps do not include seasonal sea-ice or snow cover.
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Values given in Table 2, along with eqns [2] and
[9]–[11], have been used in combination with surface
types to construct global maps of the diurnally
averaged surface albedo for winter and summer
solstice conditions under cloud-free skies. Such maps
are shown in Figure 4. The albedos in the maps do not
include the effects of seasonal snowfall, or year-round
snow on elevated mountain ranges. For the estimates
shown in Figure 4, atmospheric concentrations of
water vapor and ozone were taken from climatologies
for the tropics and for summer and winter conditions
at middle and polar latitudes. In addition, an aerosol
with a 0.55 mm optical depth of 0.1 and having
properties typical of a marine aerosol was used over
oceans and a similar aerosol having properties typical
of continents was used over land. The aerosols
increased the diffuse radiation incident on the surface
at the expense of the incident direct sunlight. Broad-
band albedos for a solar zenith of 601 based on these
calculations are also given in Table 3.

The albedos shown in Figure 4 reflect the effects of
seasonal changes in vegetation, solar zenith angle, and
through changes in the concentration of water vapor
and ozone, the composition of the cloud-free atmos-
phere. It should be recognized that the values of
surface albedos given in the figure and those in Tables
2 and 3 should be considered as no more than
reasonable estimates. Accurate values await the accu-
mulation and analysis of global satellite observations
like those discussed earlier.

Nomenclature

List of Symbols and Definitions

d Adjustable parameter used to derive di-
rect albedo from diffuse albedo, eqn [9].

dO Differential increment of solid angle.
F� Downward (� ), upward (1) broadband

radiative flux, all wavelengths included.
F�
iDIF Downward flux of diffuse sunlight in

spectral interval i incident on surface.
Diffuse sunlight is light that has been
scattered into directions markedly differ-
ent from that of direct sunlight.

F�
iDIR Downward flux of direct sunlight in

spectral interval i incident on surface.
Direct sunlight is light that passes
through the atmosphere without suffer-
ing scattering or absorption.

F�
l Downward (� ), upward (1) flux of light

with wavelength l at the surface.
g Asymmetry parameter. Average value of

cosine of the scattering angle for scat-
tered light, eqn [6].

I�l and
I�l y;fð Þ

Downward (� ), upward (1) specific
intensity, or radiance, with wavelength l.

k Adjustable parameter in empirical repre-
sentation of BRDF, eqn [7].

Pðg; YÞ Henyey–Greenstein phase function, eqn
[5].

PðYÞ Probability distribution function, or scat-
tering phase function, for scattering at
angle Y. Fraction of light scattered per
unit solid angle at scattering angle
Y betweenY andYþ dY into incremen-
tal ring of solid angle given by
2p sin Y dY.

RðG; DÞ Correction factor for ‘hot-spot’, eqn [8].
RiD Spherical albedo for atmosphere inwave-

length interval i when viewed from the
surface. The spherical albedo is the
albedo for diffuse incident radiation.

a Broadband albedo, or simply albedo.
Fraction of light reflected, all wave-
lengths of the incident light included.

aiðm0Þ Albedo for direct sunlight in spectral
interval i, incident on the surface with
solar zenith angle for which the cosine
is m0.

aiD Albedo for diffuse sunlight in spectral
interval i.

al Spectral albedo. Fraction of light reflect-
ed at wavelength l.

D Adjustable parameter in correction for
‘hot-spot’, eqn [8].

y View zenith angle. The angle between the
direction to the observer and the normal
to the surface.

y0 Zenith angle of incident sunlight that has
been scattered in the atmosphere.

y0 Solar zenith angle. The angle between the
direction to the sun and the normal to the
surface.

Y Scattering angle. Angle between incident
and scattered or reflected light.

l Wavelength of light.
m0 cosine of the solar zenith angle.
p 3.14159.
r0 Adjustable parameter in empirical repre-

sentation of BRDF, eqn [7].
rðy0; y; fÞ Bidirectional reflectance distribution

function, eqn [7].
f Relative azimuth angle. The angle be-

tween the direction of the incident sun-
light and the direction of the reflected
light when projected in the plane con-
taining the reflecting surface.

f0 Relative azimuth angle of sunlight that
has been scattered in the atmosphere.

1922 REFLECTANCE AND ALBEDO, SURFACE



See also

Aerosols:Climatology of TroposphericAerosols.Agricul-
turalMeteorology andClimatology.Air–Sea Interac-
tion: Sea Surface Temperature. Antarctic Climate.
Boundary Layers: Surface Layer.Deserts andDesert-
ification. Land–Atmosphere Interactions: Canopy
Processes.Optics, Atmospheric:Optical Remote Sens-
ing Instruments. Radiative Transfer: Scattering. Satel-
lite Remote Sensing: Aerosol Measurements. Sea Ice.
Snow (Surface).
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Introduction

Large-scale undulations in the westerly winds are
related to an ideal form of motion known as the
‘Rossby’ or ‘planetary’ wave. These waves owe their
existence to the rotation and spherical shape of the
Earth. Weather patterns and the general circulation
are mostly much wider than the depth of the atmos-
phere: viewed from the side, aweather system is 100 to
1000 times thinner (vertically) than its width. This
extreme thinness, beyond reminding us of the fragile
nature of the atmosphere, causes horizontal winds to
be stronger than vertical winds in such weather
systems. Stable layering of the air, with its great
variations in density, reinforce this inequality. Waves
then become possible, which are dominated by nearly

horizontal wind patterns, in many ways unlike the
familiar waves on the sea or those of sound or light.

In their most general form, Rossby waves have an
important bearing on what we call ‘weather’ and on
the form of the general circulation of the Earth’s
atmosphere and its oceans, and on the atmospheres of
other planets. Indeed, the form of the general circu-
lation is in part shaped by Rossby waves. In their most
general form,Rossbywaves occurwidely in fluid flows
of many kinds (for example, in hurricanes). To
understand these waves completely requires a chal-
lenging amount ofmathematics and physics, butmany
of their properties can nevertheless be appreciated
through ideas, observations, and experiments that
could be found in a high-school physics course.
Because the language of science can be artificially
complex, we provide translations of some unfamiliar
terms inside brackets { }. Some mathematical equa-
tions are included, but these can be skipped by those
unfamiliar with them.
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Horizontal Propagation

If a westerly wind {one that blows eastward} passes
over a mountain range, undulations develop down-
stream, meandering north and south with regularity.
This is somewhat like a brook flowing rapidly over a
stony bottom, where small ripples and longer gravity
waves are seen on the surface. The uneven bed of the
fluid disturbs the flow, sending out waves. Waves
trying to ‘stem the current’ and propagate upstream
are particularly strong: these waves are held fixed in
space. They ‘resonate’ with the rocks and build up in
amplitude (yet, more subtly, their energy does prop-
agate away from the stony source, upstream for ripples
and downstream for gravity waves). Such a pattern,
calculated for the much larger-scale flow appropriate
to Rossby waves, is seen in Figure 1. The waves are
here excited by flow of a single layer of fluid over an
isolated mountain; the ‘mountain’ is idealized in the
form of a circular cylinder of finite height. For a
westerly wind speed of 30m s�1, at latitude 401 on the
Earth, the wavelength {the distance from one north-
ward undulation to the next} is about 8200 km.
Rossby waves are primarily horizontal motion, rather
than vertical. Unlike waves at the surface of the sea,
but somewhat like longer gravity waves on a stream,
they involve the entire fluid, and help to shape its cir-
culation. If the mean winds were reversed in Figure 1,
they would flow over the mountain with very little
disturbance: Rossby waves cannot then be generated.

In large-scale atmospheric flow, isobars {lines along
which pressure is constant} nearly coincide with
streamlines {lines along which the wind is directed};
this is why useful weather maps show the atmospheric
pressure. Notice at once that the meandering flow in

Figure 1 has a cyclonic low-pressure center just
downstream of the mountain, with relatively high
pressure upstream. This indicates that the wind is
pressing eastward on the mountainous solid Earth,
and in response the Earth is pressing westward on the
atmosphere {with a horizontal force found by adding
up everywhere the pressure multiplied by the slope of
the topography}. It seems that in generating a Rossby
wave, the mountain is also exerting, over time, a
westward force on the atmosphere. In fact, this ‘wave-
drag’ is a keypart of the angularmomentumbalanceof
the atmospheric circulation. With the passing of the
seasons, fluctuations in this balance cause the speed of
rotation of the Earth to fluctuate, and the length of the
day to change by about 1.5ms.

The observednorthernhemisphere flow in the upper
troposphere is shown as an average over the winter
season (Figure 2A). The deviation from circular
streamlines, which would correspond to strictly
east–west winds, is the ‘stationary’ or ‘standing’
wave field of the atmospheric general circulation (see
Stationary Waves (Orographic and Thermally
Forced)). The flow is westerly throughout most of
the region, which does not extend south into the trade
winds. Where the streamlines squeeze close together
the winds are stronger: this occurs downwind of the
Himalayan plateau at the western side of the Pacific
Ocean, and downwind of theRockyMountains, at the
western side of the Atlantic Ocean. Of course at any
given moment the winds will not look like this figure,
for transient waves and eddies, some of them associ-
ated with the jet stream, are as strong as the mean
winds. Between two and three waves fill a latitude
circle, in this pattern.

Vertical Propagation

Complementing this purely horizontal view of the
circulation, a vertical cross-section of the atmosphere,
running east and west, shows that in a broad-brush
sense the wind patterns vary very little with altitude,
though they grow in strength as one moves up to the
top of the troposphere (where the jet streams are
strongest). Thismeans that a ‘barotropic’model, {such
as onewith a single layer of uniform-density fluid, as in
Figure 1}, should have some validity. Notice, as in the
horizontalmap of the samewind field (Figure 2A), and
the theoretical calculation behind Figure 1, that major
low-pressure regions lie in the lee of the Himalayan
Plateau in Asia, near 901E and in the lee of the Rocky
Mountains of North America at 901W longitude.
Because a geostrophic {large-scale} wind moves with
high pressure to its right (in theNorthernHemisphere,
conversely in the Southern Hemisphere), there are
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Figure 1 Rossby waves in westerly flow over an idealized

mountain (a circular cylinder). (FromMcCartneyM, Journal of Fluid

Mechanics, 68: 71–95, 1975.) Shown are the streamlines, station-

ary pattern along which the wind is directed.
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Figure 2 (A) Streamlines (solid) and absolute vorticity, xþ f , averaged at the 300 hPa level in the upper troposphere (figure from Lau
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northerlywinds in the lee of themountain ranges, as in
Figure 1.

A more subtle feature, however, shows that the
winds and temperature are organized in a pattern that
tilts to the west as one moves upward through the
atmosphere (Figure 2B). This tilt is a signature of
several important things. It signifies upward propaga-
tion of energy and of easterlymomentum. The easterly
{westward} pressure force exerted by the solid Earth is
transmitted upward through the atmosphere by
‘wavy’ layers of air that exert pressure forces similar
to those on the solid mountain slopes. These forces
alter the winds aloft. Upward propagation of a given
amount of energy into regions of thinner (less dense)
atmosphere leads to increasing velocity with height
(because the kinetic energy is the product of air density
and squared velocity). For this reason, Rossby waves
that reach the stratosphere can be accompanied by
strongwinds, and candrive strong changes in themean
westerly winds.

The tilted pattern also indicates that north–south
wind velocities, v, and temperature, T, have a
systematic correlation. Their product, vT, is the
poleward {toward the North or South Pole depending
on which hemisphere one is in} transport of heat.
Recall (see Radiation (Solar)) that most of the signi-
ficant motions of the atmosphere and ocean are driven
by solar radiation, heating the tropics, with the heat
radiating back to space most strongly near the poles.
Rossby waves, or motions with some of their proper-
ties, contribute to the north–south ‘heat pipe’ in this
giant heat engine. This discussion fills out the fully
three-dimensional picture of the two-dimensional
problem shown in Figure 1.

BecauseRossbywaves exist throughout the depth of
the atmosphere, they are not ‘superficial oscillations’,

but rather an expression of forces acting on the entire
circulation. An isolated cyclone, if it is large enough in
size and weak enough in wind velocity, will ‘burst
apart’ into Rossby waves, forming new, elongated
cyclones and anticyclones that gradually fill the fluid
with motion (Figure 3). In this experiment, the fluid
itself oscillates gently, moving only slightly compared
with the movement of the wind patterns. In the figure
we have no mean westerly wind, so that most of the
fluid ismotionless. Stronger,more realistic cyclones do
not radiatewaves so efficiently, but the forces involved
in the waves are still at work, for example, nudging
hurricanes out of the tropics toward the poles.

Examples: Blocking Patterns in the
South-east Pacific and
Teleconnections over North America

Observations of winds at the 300 hPa level in the
Pacific (Figure 4) show a structure that illustrates the
nature of Rossby wave propagation. Cumulus con-
vection in thewestern tropical Pacific provides a large-
scale pattern of divergent winds aloft. A train of
cyclones and anticyclones appears south of Australia
and veers south-eastward toward Chile, where it
creates a lasting circulation cell strong enough to be
called a ‘blocking’ pattern. The figure shows correla-
tions of thewinds with a time-series that expresses this
blocking: the winds themselves form a similar pattern.
The waves arrive quickly (the speed of individual
cyclones and anticyclones being about 51 of longitude
per day, which appears to be slower than the south-
eastward development of the pattern as awhole). They
decay slowly, influencing a vast region of the South
Pacific and reaching into the South Atlantic. In a

(A) (B) (C)

Figure 3 The breakup of an initial weak vortex (A). Shown are streamlines or constant-pressure curves. The ‘banana’ shaped patterns

are high-pressure and low-pressure cells associatedwith Rossbywaves. This is a single layer of fluidwithout ameanwesterlywind, using

a b-plane approximation to the rotating Earth. This numerical solution is periodic east and west, with waves entering the domain from the

east after exiting in thewest. (FromRhinesPB). The dynamics of unsteady currents. In EDGaldberg (ed.),TheSea, Vol. VI, pp. 189–318.

New York: Wiley, 1977.
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simpler fluid than the atmosphere, convection in the
tropics would stimulate a more local response: here,
waves cause a ‘teleconnection’ round half of the
circumference of the Earth.

When the close-in views of theoretically solved
Rossby waves (Figures 1 and 3) are expanded to the
whole sphere, the waves tend to propagate along
great-circle paths. While theory predicts their struc-
ture in the simplest circumstances, computer models,
which solve themathematical equations approximate-
ly, must be employed if realistic mean wind patterns
and land topography are included. The modeled
Rossby-wave field generated by a similar pattern of
equatorial heating by the ocean, Figure 5, has two
branches propagating south-eastward and north-east-
ward from thewestern Pacific. Thewave train crossing
North America is similar to the ‘PNA pattern’ that is
associated with ENSO events (more will be said about
this pattern below).

Some Specific, and Rather Technical,
Results

What features of the atmosphere are explained in some
way by Rossby waves? Begun a century ago as an
exploration of weak oscillations of the atmosphere
and oceans (for example, the tides raised byMoon and
Sun), the theory of Rossbywaves now provides insight
into the very heart of atmospheric (and oceanic)
circulation dynamics. These waves are related to the
meandering north and south of the westerly winds
and, less directly, to the synoptic eddies that shape our
weather. Rossby waves contribute to understanding
the global pattern of these westerly winds, the
enhancement of cyclonic disturbances in the lee of
major mountain chains, the location and shape of
storm tracks in the western Atlantic and western
Pacific, some forms of blocking and stagnation of air
masses, the propagation of energy in long waves
upward to the stratosphere, the transport of east–west
momentum with these waves, and the attendant
deceleration and ‘sudden warming’ of the wintertime
vortex that sits above the North Pole.

Along the Equator, oceanic heat and water vapor
drive cumulus towers that heat the larger-scale atmos-
phere. The winds converge below and diverge above
such a heat source, and air pulled into the pattern
creates a pattern of circulation extendingboth east and
west from the heat source. Rossby waves propagating
westward from the region of forcing control the shape
of this pattern to thewest, while Kelvinwaves describe
the movement east of the heating. At a yet larger scale,
the atmosphere signals the onset of El Niño in the
tropical Pacific by sending a train of waves across

D_4

D_2

D log

D+2

D+4

Figure 4 A map showing the correlation between the north–

south winds at 300 hPa level with the time series of south-east

Pacific blocking.Thepanel labeledD�4 represents the correlation

pattern 4 days before maximum blocking, and the sequence

proceeds in time to 4 days after peak blocking. The apparent wave

train propagates from Australia south-eastward across the Pacific.

‘Blocking’ heremeans a period of at least 5 days when the 500 hPa

pressure is at least 0.5 standard deviation above the norm. The

source of the wave train is thought to be the cumulus convection in

thewesternequatorial zone, andhence there is a strongcorrelation

of warm El Niño periods with blocking patterns at higher latitude

(SOI index–blocking index correlation reaches –0.8 during the past

15 years). (From Renwick JA and Revell MJ, Monthly Weather

Review, 127: 2233–2247, 1999.)
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North America: in the simplest idealization these are
Rossby waves (meanwhile, in the sea below, Rossby
waves move westward along the Equator to reinforce
the recurrence of El Niño). In the lower troposphere in
summer great anticyclones fill the North Atlantic and
Pacific oceans, and these are established by monsoon
forcing (warming of the land surface) yet organized
and shaped by westward propagation of low-frequen-
cy Rossby waves. More distant relatives of the Rossby
wave account for the basic instability of the primary,
east–west atmospheric circulation: baroclinic insta-
bilities, which are the model of cyclonic storm devel-
opment, tapping the potential energy of the
atmosphere, and barotropic instabilities, which tap
the kinetic energy of themean atmospheric flow. In the
stratosphere, very large-scale Rossby waves describe
the undulations of the vortex sitting over the winter
pole. They are excited by upward propagation of
Rossby wave energy from the intense winter circula-
tion below. The restoring force that gives us Rossby
waves also inhibits mixing of fluid north and south,
and in this way makes possible the ozone hole.

Before being completely carried away by the
potency of this idea, however, we have to warn that
Rossby waves are in competition with other forms of
flow, particularly with turbulent, large-amplitude
winds that are not waves at all. At the scale of the
larger weather systems, the ‘flow’ dynamics and the
‘wave’ dynamics are nearly equal in importance.

Basic Principles

The conservation principle for potential vorticity (see
Dynamic Meteorology: Balanced Flows; Potential

Vorticity) helps to simplify the notion of Rossby
waves, and also unifies them with the ‘flow’ dynamics
just mentioned. Potential vorticity (PV) combines the
dynamical effects of the spin of the Earth about its axis
with the much smaller-scale spin of elements of the
fluid about their centers. The spin of the Earth is, in
effect inherited by the fluid atmosphere, and concen-
trated into small, spinning storms. PV also incorpo-
rates effects of the sloping isentropic surfaces, and the
shape of the atmosphere’s lower boundary. PV is thus a
combination of small-scale fluid properties and large-
scale environmental properties. Using the time deriv-
ative following the motion of the fluid (and with PV
denoted by q), eqn [1] describes conservation of q
following an ideal fluid element as it moves.

Dq

Dt
¼ 0 where q ¼ f þ z

h
½1�

We have neglected friction, heat sources, and the
effects of small, unobserved, turbulence here. PV is
related to, yet more general than, the conservation of
angular momentum encountered in the physics of
spinning bodies. Here f is known as the Coriolis
frequency. It is equal to twice the vertical component
of the Earth’s rotation vector (eqn [2], where O is the
Earth’s rotation rate (in radians per second) and f is
the latitude).

f ¼ 2O sin f ½2�

Rather like a Foucault pendulum, the horizontal flow
of the atmosphere picks out the vertical component of
the rotation vector. z is known as relative vorticity
(also resolving just the vertical component), which is

Figure 5 Computer models of the atmospheric circulation play a key role, not just in weather forecasting, but in developing ideas and

testing theories of the underlying dynamics. Here, trains of Rossby waves propagate in both hemispheres from a source of cumulus-

convective heating in thewesternequatorial Pacific. Themodel takes the observed, fully three-dimensional structure of the circulation and

calculates the change in the winds arising from tropical heating by the warm ocean. The waves all emanate from the western equatorial

Pacific, moving eastward along (very approximately) great-circle paths. Plotted contours show the north–south wind (not including that of

the time-averaged winds) in the upper troposphere; contour interval 0.5 meters per second. (From Jin F and Hoskins BJ, Journal of the

Atmospheric Sciences, 52: 307–319, 1995.)
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twice the average rate of spin of small fluid elements
about their centers; finally, h is the thickness of the
layer of fluid, measured along the local vertical. As the
fluid moves, it may trade off its small-scale spin ðzÞ for
its large-scale ‘planetary spin’ ðf Þ by moving north or
south: this is the essence of the Rossby wave. The
thickness h may also be involved in the trade-off,
helping or hindering it. A key quantity suggested by
this description is the rate of change of the planetary
spin, f , with latitude. This is known as b, defined as in
eqn [3],

b ¼ 2O cosðlatitudeÞ
a

½3�

where a is the Earth’s radius, 6380 km (73 km). In SI
units (meters� seconds)�1, b ¼ 2:28�10�11 multi-
plied by the cosine of the latitude. The ‘beta-effect’ is
the name given this systematic gradient {variation} of
PV provided by the spherical shape of the planet.

For a single layer of homogeneous fluid like ordi-
nary water, h is the full depth of the layer: in this case
we can have ‘topographicRossbywaves’ due to a slope
of the solid bottom (variation of h), instead of the
spherical shape of the Earth (variation of f ). For a fluid
layered with significant density variation (like the
ocean or the atmosphere), the conservation of PV can
be applied to a small fluid element, with h being the
vertical thickness of the density layer. PV thus has a
dual nature: it gives a conserved quantity at each point
in the fluid and yet it also has a vertically averaged
sense of being conserved, for an entire layer of fluid
{this known as ‘barotropic’ PV}. Remarkably, many
aspects of atmospheric Rossby waves can be largely
understood in terms of the latter, simpler, barotropic
PV. A map of PV throughout a fluid can be mathe-
matically ‘inverted’ to give much of the velocity and
density field (though a part of the flow forwhich PV¼0
is ‘invisible’ to PVanalysis), and amap showing curves
of constant PV for the time-averaged state of the
atmosphere (with mean winds and mean tempera-
tures) describes the restoring effect for the waves.
Indeed, fluid can flow rather freely along such curves
of constant PV (known as ‘geostrophic contours’ or
just mean-PV contours). The persistent variation of f
with latitude tells us that east–west winds are favored
on a rotating planet, and north–southwindsmay often
lead to waves.

It is exceptionally handy that the fundamental
dynamical quantity (PV) for the atmosphere is nearly
unchanging, like the concentration of a trace chemical
following the circulation of the air. This adds great
intuitive resource because we can actually see tracers
move, distort and mix, and we can ‘see’ PV in models
and observations behaving in many of the same ways.

Rossby waves are the shimmering of the mean PV
contours of the atmosphere.

Barotropic Rossby Waves

For the case when the layer thickness, h, is effectively
constant, we have zþ f as the active part of PV. An
ideal situation would be a single layer of incompress-
ible fluid (likewater) of constant depth. It happens that
this idealization is immensely powerful, providing
approximate wave solutions for the more complex
environment of the stratified atmosphere.

Carl-Gustav Rossby, working at MIT in 1939,
introduced the useful approximation for middle lati-
tudes, known as the ‘beta-plane’. It approximates the
spherical Earth locally by a plane tangent to it,
allowing simpler mathematics using Cartesian coor-
dinates to replace the full spherical coordinates. Far
from the tropics, the Coriolis frequency can be
approximated as in eqn [4] where y is the north–south
position, measured from some mean latitude y0.

f ¼ 2O sinðlatitudeÞ � f0 þ by ½4�

Rossby Waves in an Atmosphere
at Rest

Let us now use these ideas to construct a basic Rossby
wave for an atmosphere otherwise at rest (without the
usual east–west mean winds). Newton’s second law,
the conservation of momentum, gives us equations in
both horizontal directions, x (eastward) and y (north-
ward), for the corresponding velocity components u
and v. If we set up the wave with purely north–south
motion, u ¼ 0, the momentum equations express an
east–west force balance between the pressure gradient
and the Coriolis force (known as geostrophic balance;
eqn [5]) and a north–south force balance between
acceleration per unit mass and pressure gradient
(eqn [6])

�fv ¼ � 1

r
qp
qx

½5�

qv
qt

¼ � 1

r
qp
qy

½6�

Eliminating the pressure, p, between these two equa-
tions gives a wave equation for v (eqn [7]).

q2v
qxqt

þ bv ¼ 0 ½7�

In eqn [7], where b ¼ qf=qy, approximated as a
constant in the equation. Assuming a wave of the
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form n ¼ A cosðkx� otÞ, we substitute into the wave
equation to find eqn [8].

o ¼ � b
k

½8�

This key relation between thewavenumber k {which is
2p divided by the wavelength} and the frequency o
tells us that longer waves have higher frequency, and
their propagation speed, c (the phase speed) is west-
ward, with magnitude b=k2. In more familiar wave
systems, for example, nondispersive sound waves,
light waves, or waves on a vibrating string, the
frequency varies directly with wavenumber and the
propagation speed c is a constant. The character of
dispersive waves is that a localized disturbance
breaks into sine-wave components of gradually vary-
ing length (as with a pebble thrown into a pond).
By contrast, nondispersive waves like sound and
radio waves preserve the properties of isolated
pulses, making possible communication to a great
distance.

The Restoring Force for RossbyWaves

The force balance above shows that the pressure
gradient is the restoring force for the waves, and that
this north–south gradient arises indirectly from the
east–west force balance. Large-scale winds, slowly
varying in time (relative to a day) are nearly geo-
strophic (see Quasi-geostrophic Theory), with pres-
sure gradient balancing the horizontal Coriolis force
(which is at right angles to the wind). Because the
Coriolis frequency and hence the Coriolis force on
the air parcels increase with latitude, so too do the
north–south pressure variations, and these provide
the needed restoring force, driving the acceleration of
the wind.

The principle of conservation of PV gives a clearer
description of theworkings of theRossbywave. An air
mass that moves northward in a standing wave
pattern, conserving the sum zþ f , will have to develop
negative spin or vorticity, z, as it encounters smaller
values of f found at high latitude. This anticyclonic
spin matches the northward velocity, west of the
parcel, and the southward velocity to its east (Figure 6),
enforcing the basic wave pattern. In downwind
regions where the wave has not yet penetrated, this
spin will extend the pattern downwind at a rate twice
the mean westerly wind speed.

When the wave is oriented in an arbitrary direction,
it has two wavenumbers or, more succinctly, a wave-
vector k with components k (east–west) and l (north–
south). The corresponding equation (for a fluid with-
out mean east–west winds) is now (written in terms of

the stream function, c) given by eqn [9].

q
qt

r2cþ b
qc
qx

¼ 0 ½9�

Thequantityc is a close approximation to the pressure
or geopotential height field, as well as giving the
horizontal velocities ðu ¼ �qc=qy; v ¼ qc=qxÞ, and
r2c is the horizontal Laplacian, q2c=qx2 þ q2c=qy2.
The equation is a formof conservation of PV, rewritten
as PV ¼ r2cþ by. The frequency relation, found by
substituting a wave of the form c ¼ expðikxþ ily�
iotÞ in the equation, is now given by eqn [10], where a
is the direction of k with respect to east.

o ¼ �bk
k2 þ l2

¼ �b cos a
jkj ½10�

This relationship is plotted in Figure 7. A key property
of dispersive waves is the velocity of energy propaga-
tion, known as the group velocity. This vector has
magnitude (5) equal to the westward component of
phase speed, and it points in a direction 2a. This vector
has magnitude (eqn [11])

b

jkj2 ½11�

The group velocity is perpendicular (pointing inward)
to the circles of constant frequency in Figure 7. A
remarkable property of Rossby waves is that their
wave crests always move westward relative to the air,
with westward speed also given by expression [11],
even though their energy can propagate in any
direction. If a steadily oscillating force is exerted at a
point in the fluid, it will radiate Rossby waves in
all directions (Figure 8). The theory gives the solution
as a form of Bessel function {known as the Hankel

Figure 6 Showing how a parcel of air moved northward in a

standing wave, conserving its potential vorticity zþ f , develops

negative (anticyclonic) spin z, which affects fluid to the east and

west, reinforcing the north–south winds.
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function of the second kind}, multiplied by a west-
ward-traveling sine wave, written explicitly as c ¼
expðibx=2o� iotÞHð2Þ

0 ðbr=2oÞ. The wave crests form
parabolas on the horizontal plane that sweep west-
wardwhile collapsing toward thewestward part of the
x-axis.

Effect of Mean Zonal Winds

An east–west wind,U, Doppler-shifts the waves; if we
restrict our interest to standing or stationary waves,
we replace time derivatives with x-derivatives, or
equivalently replace o by �kU in the frequency
relation. Instead of eqn [10], this gives eqn [12].

kU ¼ kb
k2 þ l2

½12�

And instead of the wave equation [9], we have
eqn [13].

r2cþ b
U

c ¼ 0 ½13�

Evidently, awesterlywind generates Rossbywaves, all
of the same wavelength (eqn [14]).

2pffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
k2 þ l2

p ¼ 2p

ffiffiffiffi
U

b

s
½14�

We see from this formula that faster winds make
longer waves, and in regions of easterly wind ðUo0Þ
there are no simple waves at all. The group velocity is
found by adding the intrinsic group velocity of the
Rossbywave to themeanwind velocity. Using relation
[11], the intrinsic group velocity has magnitude that
just equals U. Taking account of the direction of
energy propagation, the waves’ energy propagates
with velocity 2Uð1þ cos yÞ, in a direction ymeasured
with respect to east. They fill an ever-expanding circle
downstream of the source of waves.
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In the more general situation of propagating (rather
than stationary) waves on a westerly wind, the two
above analyses combine to give an east–west wave-
speed o=k which is U � ðb=jkj2Þ. This is Carl-Gustav
Rossby’s ‘trough formula’.

Forcing and b-Plumes

There is one important signal missing from the above
discussion. Waves with crests (and winds) running
nearly east and west have k � l have significant
energy velocity even though their intrinsic frequency is
small. At very low frequency, keeping the wavelength
constant, the direction of energy propagation is due
westward, and is sufficiently fast to overcome
a westerly wind. This produces what can be called
‘b-plumes’, which are nearly steady cells of circulation
reachingwestward from their point of generation. The
above expression for the energy velocity, b=jkj2, tells
us that for north–south length scale L, the circulation
plume will propagate westward at speed bL2 relative
to the mean wind. In the case of flow over a mountain
range, this plume can reduce the flow upwind of the
mountains, expressing a blocking of the wind by the
mountain.With a little friction added, the b plume can
become a steady, closed circulation. A solution for the
streamlines due to a point-source of PV, Figure 9,

complements the oscillatingRossbywave point source
in Figure 8. Here the forcing would produce a circular
vortex in absence of the b effect (and indeed, near the
forcing the streamlines are circular). But Rossby wave
propagationmakes the vortex lop-sided, extending far
to the west.

The beta effect is particularly strong in the tropics
and, together with gravity wave and Kelvin wave
dynamics, helps to shape circulations there. An ideal-
ized steady heat source at the Equator, Figure 10,
causes a low-level convergence of the winds, which
rise into the heating region. This is for an atmosphere
initially at rest. Yet this convergence forms a double
cell of circulation west of the heating region, which is
again a b-plume. The winds are drawn in from east of
the heating in another ‘plume’ that is shaped by Kelvin
wave dynamics (see Kelvin Waves). Motions that
involve strong horizontal temperature variations and
corresponding vertical velocity variations (through
the thermal-wind balance) are termed baroclinic (see
Baroclinic Instability), whereas winds with little
vertical variation in the pattern of the velocity are
termed equivalent-barotropic. Thewinds produced by
heating here are quite baroclinic, yet with a significant
equivalent-barotropic contribution. When the ob-
served mean atmospheric winds are added to this
model, the very different pattern of nearly stationary
Rossby waves appears downwind of the forcing,
Figure 5: yet we can still see the b-plume upwind.

Horizonal Propagation: Refraction,
Waveguides, and Instability

Rossbywaves follow propagation pathways (‘rays’) in
an approximate sense, and these rays are bent by
variations in large-scale PV from the time-averaged
winds, the thermal structure, and topography of the
solid Earth. Preferred paths (‘waveguides’ or ‘ducts’)
of thewaves are created in thisway, for example, in the
core of the westerly winds, along the Equator, and in
the upper polar troposphere.

We have seen some of the topographically induced
standing wave patterns of the atmosphere that at least
in part are attributable to Rossby wave dynamics.
Consider now the kind of perturbation {alteration,
often weak or slight} to the mean standing-wave
circulation arising from an additional source ofwaves,
as in Figure 5. For example, during El Niño events in
the Pacific, the extraordinarily warm sea-surface
temperature can excite waves in the atmosphere
passing above. Yet it is found that the wave pattern
generated is sensitive to the location (east and west) of
the forcing region; this would not be the case for a
simple Rossby wave problem. We must generalize the
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reaches west of the forcing forming an elongated gyre of stream-
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this western extension of the circulation. The forcing at the origin

could be a small region of heating by cumulus convection (driving

divergent flow in the upper troposphere, and hence anticyclonic
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lower troposphere), or amechanical ‘twisting’ forceconcentratedat

the origin. This is a plot of the theoretical result, which is a Bessel
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restoring effect for Rossby, waves to include PV
gradients in the mean winds themselves. In eqn [13],
b is replaced by dq=dy ¼ b� q2U=qy2 for this baro-
tropic model. Now consider what this does. The
curvature of the UðyÞ profile (which is the gradient of
relative vorticity) is subtracted from b. For an easterly
jet, the qðyÞ profile now has a ‘flat spot’ with small PV
gradient cut like a plateau in the ‘b hillside’. Awesterly
jet gains a concentrated gradient at the core of the jet.
The concentration of vorticity in the mean flow
augments the b-effect for the case of the westerly jet:
it is the simple sum of the planet-scale PV and the
vorticity of the time-averaged winds that counts. The
ray paths describing propagation of groups of short
Rossby waves will bend toward from regions of large
bn, as defined in eqn [15].

bn ¼ dq=dy

U

� �1=2
½15�

In this way waves will be deflected away from an
easterly jet and trapped inside a westerly jet, which
thus acts as a waveguide.

Three panels in Figure 11 show the observed mean
winter westerly wind, the barotropic PV gradient,
dq=dy, and the effective restoring term bn. Using
similar, but three-dimensional, fields from observa-
tions, linear Rossby waves were generated by a
stationary source of vorticity {a twisting force in a
small part of the fluid} as an exploratory computer
experiment (Figure 12). The size of the forced region is
about 301 of latitude. The waves indeed follow the
westerly Northern Hemisphere jet. Preferred propa-
gation into and out of the tropics occurs (Figure 11)
where the zonal winds are weak or westerly, rather
than the more usual easterly winds. Lines along which
U ¼ 0 lead to infinite values of bn, and these ‘critical
lines’ tend to reflect Rossby waves, after a certain
amount absorption of their wave activity andmomen-
tum. Computer models are sensitive to the way such

Figure 10 On the Equator, the pressure response of an atmosphere without mean winds to heating by cumulus convection (shaded

region) involves both Rossby and Kelvin waves. Here the b-plume draws air in from the west to feed the low-level convergence, while

drawing in from a ‘Kelvin plume’ to the east. Panel (A) shows the upper troposphere, where the updrafts diverge outward, and panel (B)

shows the lower atmosphere, where convergent winds feed the updraft. Because the sign of f changes across the Equator, we have a

double-celled pattern rather than the single circulation cell inFigure 8 (cyclonicwind cells below, anticyclonic above in the b-plumewest of

the forcing). (From Jin F and Hoskins BJ, Journal of the Atmospheric Sciences, 52: 307–319, 1995.)
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regions are handled, and to the levels of frictional
damping assumed in their formulation, leading to
lingering uncertainty about many features of the
circulation.

While the idea of Rossby waves having preferred
waveguides is attractive, a slightly different interpre-
tation of this experiment is that the jetstream itself is
prone to meandering. It has a strongly concentrated
PV gradient, and when disturbed it develops intense
oscillations which have both stable and unstable
components. This is not quite the same thing as a
Rossby waveguide, and perhaps better describes the
‘capture’ of Rossby wave energy by the underlying
circulation.

This idea has been developed extensively, and it is
found that the time-averaged winter winds can
actively contribute to the wave field, exhibiting
barotropic instability that can resemble a simple train

of Rossbywaves. Thus, in the PNApattern, describing
the atmospheric response to a warm tropical Pacific
ocean energy can be added to the wave train, trans-
ferred from the large-scale circulation, en route to
North America. The weakly unstable modes are not
easy to sort out because of the more rapidly growing
baroclinic instabilities of the system.

Energetic Eddies and Breaking
Rossby Waves

The atmosphere is made more complex, however, by
the great strength of the winds and the large temper-
ature range. With winds as strong as those typically
observed, nonlinear effects (neglected in the simplest
theory ofRossbywaves) are strong, and lead to a large-
scale form of turbulence (‘geostrophic turbulence’).
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We have just described how Rossby waves interact
with the general circulation. This goes both ways: the
waves induce new and important arteries of general
circulation and the circulation, through something
like linear instability, generates waves and eddies.

A view of the great energy of the atmosphere is
readily seen in daily satellite images. The potential
vorticity field at the 320K isentropic surface on 14
May 1992 (Figure 13) cuts through the tropopause,
showing the highly convoluted path of the jet stream.
Obviously this is not a ‘small perturbation to a
westerly wind’.

General circulation aside, the eddies interact among
themselves in ways that are not subject to the
propagation rules of waves. Geostrophic turbulence
{the strong interaction among eddies that are of the
scale of storms and weather, and larger} obeys none of
the rules of classical turbulence observed in nature:
energy cascades {flows,moves} predominantly to large
horizontal scale and into barotropic eddies {tall
motions with flow that is similar over a wide range
of altitude}. The merging of two eddies of the same
sign {both either cyclonic or anticyclonic} is a part of
this cascade, and can lead to concentration of the flow
into a few, sparse, intense eddies. The ‘life-cycle’ of
intensifying cyclonic storms in the atmosphere is a
manifestation of this cascade toward tall eddies with
reduced vertical shear and hence reduced potential
energy, followed by horizontal propagation: baro-
tropic Rossby waves propagate rapidly, and the

turbulence cascade feeds energy into them. Typically
the growing stormdevelops cut-off {closed patterns of}
temperature and PV fields, whereupon it is more an
eddy than a wave.

More generally, the interaction of the transient and
stationary waves, as calculated from observations, is
an expression of the complexmixofRossbywaves and
eddies (stationary and traveling) found in the general
circulation.

The chaotic development of geostrophic turbulence
has similarities to the pairing of cyclones and their
north–south movement, which reorganizes the larger-
scale circulation. Purely barotropic turbulence also
coexists with Rossby waves, and can feed energy into
them: either through the jostling of a pair of adjacent
eddies or through distortion of an eddy by the larger-
scale circulation.

When the fluid motion is very energetic, PV mixing
occurs, and this directly forces changes in the large-
scale atmospheric circulation by shifting momentum
about. In some circumstances this can be described as a
‘breaking’ Rossby wave, in which lines of constant PV
fold over sideways (still with nearly horizontal mo-
tion) and curl up.

More about Vertical Propagation

As we have seen, the defining properties of Earth’s
atmosphere and ocean (and, indeed, the atmospheres

Figure12 Meridional wind anomaly at day 10 for circular heat source at 201N, 01E,withDecember–Januarymean flow. This is a three-

dimensional model calculation, but with a wave environment dominated by the barotropic PV (Figure 11) (From Ambrizzi T and Hoskins

BJ, Quarterly Journal of the Royal Meteorological Society, 123: 919–929, 1997.)
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of other planets) arise from the underlying rotation of
the planet and its form as an irregular sphere; to these
we now add the extreme thinness and the nearly
horizontal layering of air and water, with gradation
from large density below to small density above. This
density varies significantly over one scale height of the
atmosphere, defined as Hs ¼ RT=g (R being the gas
constant, T the temperature, and g the gravitational
acceleration); it is typically 8 km. The layered strati-
fication allows vertical variation of the horizontal
wind, according to the thermal wind relation (see
Dynamic Meteorology: Overview). This introduces a
new class of baroclinicRossbywavewhich propagates

in all three dimensions. We now have a basis for
understanding Figure 2B.

The extreme gravitational stability of these fluid
layers is expressed in the buoyancy frequency
(eqn [16]).

N ¼ g

y
qy
qz

� �1=2

½16�

This is the frequency of bobbing of a small air parcel,
after it is given an upward or downward impulse (see
Buoyancy and Buoyancy Waves: Theory). In the
troposphere, the period 2p=N is typically 10–20min-
utes; and in the lower stratosphere it is about 5min-
utes. Here we use a local Cartesian coordinate system,
ðx; y; zÞ 5 (east, north, up).

The form of the potential vorticity eqn [1] including
vertical propagation is given in eqn [17].

D

Dt
r2cþ r�1 q

qZ
rf 2

N2

qc
qZ

� �
þ dq

dy

qc
qx

¼ 0 ½17�

Here Z ¼ Hs lnðp0=pÞ is a slightly modified vertical
coordinate, proportional to the log of the pressure. For
waves with simple sine-wave variation east and west,
and oscillating like a sine wave in time, we find a
Helmholtz equation related to eqn [9] but now with
respect to y and z (north and vertical). For stationary
waves with mean westerly wind Uðy; zÞ, and simpli-
fying by considering N2 to be constant, we let c ¼
exp ðikxÞ expðZ=2HÞFðy; zÞ giving eqn [18a], with n2

and l given in eqn [18b].

q2F
qy2

þ f 2

N2

q2F
qZ2

þ n2F ¼ 0 ½18a�

n2 ¼ �l2 � k2 þU�1 dq

dy

� �
; l ¼ f

2NH
½18b�

Here n2 is the index of refraction for the waves; simple
refraction occurs, in which rays bend toward regions
of large index of refraction, and their paths can be
sketched on a plot of n2. Solutions of this equation are
wavelike where n2 is greater than zero, and waves
cannot penetrate regions where n2 is negative; only a
small tail of the disturbances reach inside such regions.
In particular, the waves can penetrate only where U
falls in the range given in [19].

0oUo dq=dy

k2 þ l2
½19�

Jule Charney and Philip Drazin showed, in 1961, how
in this analysis the zonalwindmust bewesterly and yet
not too strong for stationary waves to propagate

Figure 13 (A) Potential vorticity (PV) over Europe on the 3201K

surface at 1200UT on 14 May 1992, from ECMWF analysis. The

tropopause, dividing troposphere and stratosphere, cuts through

the figure along the 0.5 to 1.5 contours. (B) Meteosat image of

water vapor (5.7 to 7.1mm wavelength radiation) at the same

time as in (A). (From Appenzeller C and Davies HC (1992) Nature

359: 570–572.
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upward toward the stratosphere. The signature of this
upward propagation is a three-dimensional wave-
vector k that points downward and to the west, which
means that the wave-crests are sloped upward to the
west, just as in Figure 2B. This happens in awindowof
time in midwinter. It is remarkable that the very
dispersive Rossby wave should, in the case of a single
wave in x and t, be governed by a simple, single index
of refraction (as if it were nondispersive). Tracing of
the rays along which the waves propagate in the y� z
plane (northward, upward) can be done immediately
and easily (see model simulation in Figure 14). Errors
due to east–west variations in the large-scale ‘mean’
atmosphere can be quite important and tracing of rays
in all three dimensions would seem important, yet the
very long wavelength east and west invalidates simple
ray-tracing theory.

The upward propagation of Rossby waves into the
stratosphere is particularly energetic in the Northern
Hemisphere in winter, and the forces they exert act to
decelerate the strong winds of the polar vortex. The
important waves are very long, with just one or two
wavelengths around a latitude circle. The dynamics
of breaking Rossby waves and potential vorticity
mixing by the turbulence that follows are a crucial part
of the dynamics of the stratosphere (see Middle
Atmosphere: Planetary Waves). Confinement of air
over the wintertime pole by the strong potential
vorticity gradient makes possible the chemically
induced ozone hole.
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Figure 14 (A) Mean east–west wind used in the model. (B)

Refractive index for steady zonal wavenumber 2. Dark band has

high positive values. (C) Propagation paths for idealized Rossby

waves, refracting toward the Equator (toward large refractive

index, or slow wavespeed) with height. Contours show the

convergence of the Elliasen–Palm flux, which exerts a westward

force on the general circulation; it is particularly strong in the tropics

whereU goes to zero. (Numericalmodel experiments fromChenP

and Robinson WA, Journal of the Atmospheric Sciences, 49:

2533–2545, 1993.)
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Rossby Wave Forcing of the General
Circulation

Transport of momentum and energy by Rossby waves
and by geostrophic turbulence is a key to the ‘shaping’
of the general circulation. For example, the north–
south circulation, averaged east and west, of the
stratosphere, known as the Brewer–Dobson circula-
tion, is related to strong radiative forcing, but is largely
enabled by Rossby waves transporting easterly mo-
mentum upward from the troposphere. The lower

atmosphere thus ‘pushes on the stratosphere above’,
and on our rapidly rotating planet this leads to both a
decelaration of the polar vortex and flow at right
angles and poleward. TheRossbywave force that does
this has been diagnosed fromobservations (Figure 15).

The transmission of energy and momentum in
Rossby waves has an elegant theory, with deep
relations to classical physics. Potential vorticity,
being conserved following air parcels (in an ideal
sense, ignoring dissipation and external forcing),
provides remarkable connections between the ‘stir-
ring’ of fluid (as seen by marking it with colored
smoke) and forces andmomentum. These ideas can be
discovered by the interested reader and he or she will
be rewarded.

Concluding Remarks

There are many more manifestations of Rossby waves
in the atmosphere than are described here, including
ultralong modes with rapid easterly propagation,
modes related to tidal forcing, and particularly the
large derivative class of potential-vorticity waves
involved in baroclinic growth of storms. Waves,
instability, wave-induced acceleration of the mean
circulation, life cycles of geostrophic turbulence, and
potential vorticity mixing fill out the dynamics of the
atmosphere, and Rossby waves are just the first step
toward their understanding.

Figure 16 Carl-Gustav Rossby in 1926 or 1927, with a rotating

platform designed to simulate the Earth’s rotation and produce

waves and ‘weather’ (NOAA historic photo archive, http://

www.photolib.noaa.gov/historic)

Figure 17 Rossby waves in the laboratory, as if viewed by a satellite above the North Pole. The wave source is at the lower left, an

oscillating body. There is no preexisting circulation, but the waves induce easterly flow at most latitudes, andwesterly flow at the latitudes

near the forcing (as seen in the dye drawn into circles). At the North Pole, the red dye remains unmixed by the strong wave activity.

(Courtesy of the Geophysical Fluid Dynamics Laboratory, University of Washington.)
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Finally, wemust remark that ideas in science should
be tested when possible by physical experiments. On a
rotating platform rather like Rossby’s (Figure 16), we
can easily produce a ‘polarb-plane’ inwhich the steady
paraboloidal free surface of water in a cylinder
provides a potential vorticity gradient very like that
in themiddle andhigh latitudes of Earth. By oscillating
a small glass cylinder up and down, squashing vortex
lines, we generate an energetic Rossby wave (Figure
17), most visible east of the wavemaker. The short
waves seen there have phase propagation toward their
energy source, rather like the theoretically derived
waves in Figure 3. The waves also transport momen-

tum, driving easterly flow at most latitudes (as
predicted by theory), and a westerly jet at the latitude
of the forcing. They coexist with turbulent eddies.
Furthermore, the orange polar cap region, despite
strong wave activity, does not mix with the lower
latitudes. This is the ‘ozone hole effect’, by which
potential vorticity gradients inhibit mixing just as they
promote Rossby waves.

Historical Notes

Large-scale waves on a rotating sphere were predicted
with mathematical theory at the end of the nineteenth
century by Hough and Margules. Bernard Haurwitz
(Figure 18), after leaving Germany in the early 1930s,
derived the essential properties of these modes in a
1937 paper. His status as ‘enemy alien’ in the United
States in 1942 did not prevent the Army Air Corps
from asking him to direct a research program on
weather forecasting. Carl-Gustav Rossby (see Figure
16) developed an elegantly simple approximation
known as the b-plane, withwhich the derivation of the
waves is greatly simplified. As so often happens in
science, the full force of the earlier theory did not
become apparent until long after its discovery.
Rossby’s influential first paper on the subject appeared
in the Journal of Marine Research in 1939 (reminding
us that these waves exist in both ocean and
atmosphere). By emphasizing the simple propagation
formula, Rossby successfully brought the ideas to
bear on observations of the circulation at MIT in
important papers in 1939, and through the war years.
Before the era of computer simulation of the atmos-
phere, Rossby waves provided a foothold of dynam-
ical theory in aid ofweather forecasting.Much later, in
the last quarter of the twentieth century, Rossby wave
dynamics has filled out like a powerful floodlight our
understanding of the dark corners of atmospheric
dynamics.

See also

Baroclinic Instability. Buoyancy and Buoyancy
Waves: Theory. Dynamic Meteorology: Balanced
Flows. Kelvin Waves. Quasi-geostrophic Theory.
Radiation (Solar).

Figure 18 Bernard Haurwitz, one of the pioneers of Rossby

wave theory.
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Introduction

Aerosols are submicron particles suspended in the air,
in the form of smoke (Figure 1), urban and/or
industrial pollution, or micron-size dust particles
blown from the deserts. Aerosols are an important
part of the atmospheric physical and chemical proc-
esses (see Aerosols: Climatology of Tropospheric
Aerosols; Physics and Chemistry of Aerosols). Aero-
sols impact cloud properties and also affect precipita-
tion formation (see Aerosols: Role in Cloud Physics.
Satellite Remote Sensing: Cloud Properties; Precipita-
tion). Aerosols scatter and absorb solar radiation and
hence influence the planetary energy balance (see
Aerosols: Role in Radiative Transfer). Measurement
techniques have been developed to assess aerosol
properties and interaction with the environment. In
situ techniques (seeAerosols:Observations andMeas-
urements) measure aerosol composition and physical
and chemical properties. Chemical composition is
used to relate aerosols to sources of air pollution or to
natural processes.Models are used to assess the role of
aerosols in atmospheric chemistry and climate.

Early on, the scientific community recognized
that ground-based or airborne in situ measurements

(see Aerosols: Observations and Measurements),
though providing very detailed information, have
drawbacks that are not shared by satellite and ground-
based remote sensing measurements. Satellite meas-
urements determine a smaller array of aerosol param-
eters, but they measure the properties of the ambient
aerosol particles without sampling them on filters and
altering the physical environment. Satellites measure
aerosol properties globally with a single instrument,
ensuring a unified technique of comparing aerosol
concentration and properties in different parts of the
world. Satellites also integrate aerosol measurements
over the entire atmospheric column,which is better for
some applications (e.g., the effect on the radiation
budget but less desirable for others (e.g., the impacts
on human health and on visibility near the surface).
Ground-based remote sensing shares some of the
characteristics of satellite measurements and some of
the in situ measurements. Ground measurements do
not have a global coverage like satellites, although the
measurements are obtained many times a day in some
100 locations all over the world. Ground-based
remote sensors measure the ambient aerosol and
provide a wide array of aerosol physical parameters,
rather as do measurements in situ.

Figure 2 shows aerosol climatologyderived from the
Aerosol Robotic Network (AERONET) of Sun/sky
radiometers that provide daily information on the
aerosol properties. Compilations of thousands of
measurements during 2–6 years reveal considerable
differences in aerosol size distribution, absorption
efficiency of solar radiation, and optical refractive
index between the major aerosol types. Even for the
same aerosol type, e.g., urban regional pollution,
aerosol properties vary with the geographic locations

SATELLITE REMOTE SENSING / Aerosol Measurements 1941



owing to differences in aerosol source and atmospher-
ic processes. For example, aerosol in a site near Paris is
characterized by lower single-scattering albedo than
that in a site nearWashingtonDC,probably owing to a
higher concentrationof black carbon associatedwith a
higher rate of diesel fuel use. Emissions from Mexico
and theMaldives have an even lower single-scattering
albedo and higher concentration of the coarse mode,
owing to the lower efficiency of fossil fuel consump-
tion by transportation and industry, open fires and
lack of filtering from the emissions of the large (coarse)
aerosol particles.

Satellite techniques have evolved in the last decade
from merely reporting an effective measure of the
aerosol column concentration (Figures 3 and 4) to the
quantitative measurement of the aerosol optical
thickness over land and ocean; the assessment of the
individual column concentration of submicron-
(smoke and urban/industrial aerosol) and micron-
size (dust) particles using spectral and polarization
measurements; the measurements of the aerosol
impact on cloud properties and precipitation; and
measurements of the aerosol impact on the Earth’s

reflection of sunlight to space (review: Kaufman et al.
1997).

New satellites have been launched recently with
new aerosol measurement capability (e.g., the EOS/
Terra with the MODIS andMISR instruments; Figure
5). Satellite data and ground-based remote sensing are
being combined to measure detailed aerosol proper-
ties, such as absorption efficiency (expressed by the
single scattering albedo, o0). Coordinated field exper-
iments that include satellites, AERONET, and in situ
measurements are used to characterize the specific
aerosol type – e.g., biomass burning, Atlantic aerosol,
and East Asian pollution.

Remote Sensing of Aerosol Over Land

Satellites observe simultaneously the Earth’s surface
and the semitransparent aerosol layer above it. The
land reflectance of sunlight is highly variable, owing to
the variability of land surface cover, making a
challenge the sensing of the semitransparent aerosol
layer above it. Figure 6 illustrates the land and aerosol

Figure 1 MODIS remote sensing of fires and smoke in the wild fires in the North West US on 23 August 2000. The red dots are fires

detected in the 3.9mm channel, the rest of the image a visual red–green–blue composite. The black area are burn scars from previous

days’ fires (white areas are clouds).MODIS, theModerateResolution ImagingSpectroradiometer, has takenmeasurements onboard the

Terra and Aqua satellites, at 10:30 a.m. and 1:30 p.m. local times, respectively.
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effect on the image brightness in the visible andmid-IR
parts of the solar spectrum. In Figure 6A we can
visually distinguish between regions with and without
smoke only if the smoke is thick enough. Some parts of
the land regions in the image are as bright as the smoke
itself. Only recently algorithms for remote sensing of
aerosol over land were developed for regional to
global scales. New satellite sensorswere developed for
this purpose, using different techniques to separate the
land contribution from that of the aerosol. These
techniques can be grouped into spectral, angular, and
polarizationmethods, examples ofwhich are reviewed
below.

Spectral Technique

In Figure 6, the smoke particles that obscure the image
are very small, about 0.4 mm in diameter. Since aerosol

particles interact most efficiently with radiation of a
wavelength similar to the particle size, they interact
very well with the visible radiation (0.47–0.66 mm in
Figure 6A) and are almost completely transparent in
Figure 6B for wavelengths larger than 1 mm. This
property is used to separate the aerosol from the land.
The satellite observes the land at 2.1 mm,where there is
no obstruction by the atmosphere. An empirical
relationship, based on many measurements in differ-
ent parts of the world, is used to derive a simple
relationship between (1) the surface reflectance in the
red (0.66 mm) and blue (0.49 mm) wavelengths and (2)
that at 2.1 mm. Once the surface reflectance in the
visible channels is determined using this relationship,
the aerosol opacity and column concentration are
derived from the difference between the atmosphere-
plus-surface reflectance measured from a satellite
and the actual surface reflectance derived for these
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Figure 3 Three-month average aerosol effective optical thickness derived from the AVHRR. Color scale is given in the left bottom

corner. Heavy aerosol is observed off the coast of Africa next to the Sahara (dust) flowing towards Central America. Biomass burning

smoke is also observed flowing from Southern Africa. The Arabian Sea shows heavy dust aerosol, and urban/industrial pollution is

observed off the coast of North America and East Asia. (Reproduced with permission fromHusar RB, Prospero JM, and Stowe LL (1997)

Characterization of tropospheric aerosols over the oceans with the NOAA Advanced Very High Resolution Radiometer optical thickness

operational product. Journal of Geophysical Research 102: 16889–16909 – http://orbit-net.nesdis.noaa.gov/crad/sat/atm/aerosol/avhrr/

index.html)

Figure4 TOMSaerosol indexshowingheavysmokeaerosol from largewild fires inMexico, 15May1998, transported toNorthAmerica.

(Reproduced with permission from J. Herman, NASA-GSFC–http://toms.gsfc.nasa.gov/aerosols/aerosols.html)
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wavelengths. It is easier to view aerosol over darker
land with a smaller contribution to the radiation
detected by the satellite than over brighter land.
Therefore only satellite observations over the darkest
part of the image are used to derive the aerosol
concentration. Thismethod is applied to data from the
MODIS instrument on the EOS-Terra satellite; Figure
7 shows results of aerosol remote sensing over land
and ocean from MODIS, and the validation of the
results over the land against the ground-based AERO-
NET measurements. Validation campaigns show that
MODIS can derive the aerosol optical thickness, t,
over the land with an error of Dt ¼ �0:05� 0:20t. A
different spectral technique is used by the TOMS
instrument. Here differential absorption in two UV
channels is used to view the aerosol. In 0.34 and
0.38 mm, the land and ocean are very dark and the
aerosol absorption is decreasingwithwavelength. The
difference in satellite signal between these two wave-
lengths is used to detect the aerosol (Figure 4).

Angular Technique

Three satellite sensors, ATSR on ERS-2, MISR on
EOS Terra, and POLDER on ADEOS can view the
same location with 2, 9 or 14 different view angles
respectively in several spectral channels, within

Figure 5 The launch of EOS Terra, 16 December 1999 from

the Vandenberg air force base in California (Photograph

from the NASA-GSFC archive–http://terra.nasa.gov/About/SC/

about_spacecraft.html)

Figure 6 Large fire near Cuiaba on 25 August 1995, taken from

the ER-2 AVIRIS instrument during the Smoke Cloud And

Radiation – Brazil (SCAR-B) experiment (Kaufman YJ, Hobbs

PV, Kirchhoff VWJH, et al. (1998) The smoke, clouds and radiation

experiment in Brazil (SCAR-B). Journal of Geophysical Research

103: 31783–31808.et al., 1998). The image is 10�20 kmand20m

resolution. (A) Heavy smoke emitted from the fire and flowing over

Cuiaba. It resembles human vision and is composed of 0.47mm
(blue), 0.55mm(green) and0.66mm(red). (B) 2.1mm(blue), 1.2 mm
(green), and 1.65mm (red). The smoke is almost transparent at

these longer wavelengths, and the fire is clearly seen with its three

main temperature zones (blue – glowing; purple – smoldering,

emitting the heavy smoke; and white – the fire front. Note that it is

much easier to observe the surface features at the long wave-

lengths that penetrate the smoke. The AVIRIS data were provided

by Robert Green from the NASA – Jet Propulsion Laboratory in

Pasadena.
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a few minutes of observations. Since the atmosphere
is more obstructive in slant view directions,
owing to the longer optical path through the aerosol
layer, the sensors use the difference between the
vertical and slant observations to derive both
the surface properties and those of the aerosol
layer above it.

Polarization Technique

Solar radiation has more characteristics than just the
spectral wavelength and brightness. Solar radiation is
an electromagnetic wave that can be visualized as
similar to ocean waves. Polarization of the electro-
magnetic wave can be associated with the direction of
variation of the height of wave. While the height of

ocean waves is always perpendicular to the surface,
light arriving from the Sun has no preferred direction
of variation (zero polarization). Once reflected by the
surface or atmosphere, the wave may acquire a
preferential direction or polarization. (Note that
polarized sunglasses preferentially transmit only one
direction of polarization, to avoid observing the highly
polarized glare over a wet road, say, or ice.) The
POLDER instrument on the ADEOS satellite meas-
ures polarization. Since the polarization of small
aerosol particles is much larger than the polarization
of large nonspherical dust particles and the polariza-
tion of the Earth’s surface, POLDER can be used to
determine the concentration of smoke or pollution
independently of the presence of dust or surface
reflectance (Figure 8).
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Figure 7 (A) September 2000 average of the MODIS analysis of aerosol over land and removed the results for August. (i) the aerosol

optical thickness at 0.55mm; (ii) the Ångstrom exponent. Black regions are where no aerosol data were retrieved, due to lack of sunlight,

ice, and snow cover or bright desert land cover. Note that the pollution in the eastern US in August is associated with elevated optical

thicknessandahigher Ångstromexponent (small particles). Thesame is true for biomassburning inSouthAmerica inSeptember.Aerosol

around the Sahara (in black) is associated with a low Ångstrom exponent, indicating large dust particles. (B) 315-point validation of the

MODISanalysisof aerosol over the land, usingmost of theAERONETstations, in theblueand red spectralwavelengths. Thedashed lines

are the error predictions when the algorithm was perceived 3 years before launch. (See: http://modis-atmos.gsfc.nasa.gov)
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Remote Sensing of Aerosol over the
Ocean

Previous satellite measurements over the ocean were
limited to reflectance measurements in one channel
(from a geostationary satellite like GOES orMETEO-
SAT) or two channels (from AVHRR/NOAA), and
algorithms could derive only the total aerosol content,
assuming a given aerosol model. The aerosol model
was taken from the literature as the one most repre-
sentative of the local conditions, and this method has
been successfully applied over water with a particular
emphasis on Saharan dust studies. An operational
global product is provided by NOAA from AVHRR
data over oceans (see Figure 3).

The new generation of satellite sensors provides
well-selected multispectral data – e.g., MODIS on the
Earth Observing System/TERRA launched in Decem-
ber 1999 – ormultiangular data provided by POLDER
on ADEOS launched in August 1996 and by also
MISR on EOS/Terra. Polarized reflectance is provided
by POLDER. From such additional information it is
possible to characterize the aerosol properties better
and to derive the aerosol content or optical thickness
more accurately. While the polarized reflectance is
mainly sensitive to the particle refractive index and the
directional reflectances to the optical thickness, it has
already been demonstrated that the spectral depend-
ence of the optical thickness carries information on the
aerosol’s size distribution.

Figure 8 POLDER measurements of small aerosol particles, mainly from biomass burning and urban/industrial activity over land and

ocean.Theaerosol is detectedusing theaerosol polarization. The results are givenasaverage for four separatemonths. (Seehttp://www-

projet.cnes.fr:8060/POLDER/SCIEPROD/ae9611.htm)
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Spectral Technique

The best example is the MODIS spectral radiance
measured over the dark ocean surface. With the
MODIS instrument, we retrieve aerosol size informa-
tion from the spectral signature of the radiances
between 0.550 and 2.2 mm, as shown in Figure 9. The
radiance is the product of the spectral dependence of
the optical thickness and that of the phase function. Its
sensitivity to details of the aerosol size distribution has
been found to be lower than those of the optical
thickness alone. Numerical analysis shows that it can
be used to derive simultaneously the total aerosol
optical thickness, a measure of the column loading,
and two independent parameters describing the size.
Therefore, we derive: (1) the ratio of the contribution
to the radiance of micron size versus the submicron
particles and (2) the specific size of the dominant
aerosol mode. Examples of the three products for
September 2000 are given in Figure 10.

Angular Technique

The directional characteristics of the solar radiation
are observed from space by MISR and POLDER

instruments in addition to more limited spectral
information. The additional multidirectional infor-
mation can be used to improve retrieval of the aerosol
model, since its sensitivity to the particle size is
different from that of the spectral information. It can
also be used to distinguish spherical fromnonspherical
particles. The aerosol phase function that can be
derived from thewide range of scattering angles is very
sensitive to the aerosol shape. In fact, nonsphericity
effects have been shown to be important for backscat-
tering directions. For instance, dust particles, which
are likely to be nonspherical, have a flatter behavior in
backscattering directions of over 1401 than have
spherical particles.

Polarized Technique

The POLDER instrument adds a new dimension to the
remote sensing capability, namely the polarized ratio
of the reflected radiance. The polarized light is
sensitive to the real part of the refractive index, though
preliminary analysis of the POLDER data shows that
the problem is in fact more complex. The polarized
light is sensitive to the refractive index of the small
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particles – i.e., particles that are in the accumulation
mode – but no information regarding the coarse mode
can be derived. So the final product and its accuracy
depend on the respective contributions of both modes
to the total aerosol size distribution. In addition,
particles that are within the coarse mode are more
likely nonspherical (like dustparticles), which makes
the interpretation of the polarized signal even harder.

Remote Sensing of Single-Scattering
Albedo, Fires, CO

Satellite measurements are sensitive also to aerosol
absorption of the solar radiation. The sensitivity
increases over bright reflective earth surfaces, e.g.,
deserts, since the aerosol can absorb both the down-
ward solar radiation and that which is strongly

Figure 10 Monthly mean statistics of MODIS aerosol retrievals over land and ocean for the optical thickness (center) and for the

effective radius (top) and the ratio between the modes (bottom) over ocean. (See http://modis-atmos.gsfc.nasa.gov)
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reflected.As illustrated inFigure 11, surface brightness
determines whether the aerosol increases (low absorp-
tion) or decreases (high absorption) the surface-plus-
atmosphere reflectance. Over the bright surface,
satellites measure the balance between aerosol ab-
sorption of the solar radiation and scattering of
sunlight to space. Therefore the change in the Earth’s
brightness due to the additional aerosol in a hazy day
vs. that on a clear one, works like a precise laboratory
scale to provide an exact measure of the ratio of
absorption to scattering (expressed as the single-
scattering albedo, o0 – the ratio of scattering to
scattering-plus-absorption). Recently, combination of
satellite and ground-based remote sensing over west
Africa and Cape Verde were used to determine the
spectral absorption properties of dust. Landsat images
with different column concentration of the dust were
used and showed that dust brightens even the very
bright Senegal desert landscape (Figure 12). This dust
brightening allows the precise detection of dust
absorption, and shows that dust absorption in the
solar spectrum is much smaller than was previously
used by radiative models.

Even more important than dust absorption is the
effect of human activity on aerosol concentration and
the ability to absorb sunlight. Field measurements of
biomass burning in theAmazon and regional pollution
in the Indian Ocean have shown enhanced absorption
by heavy aerosol concentrations (o0 in the range of
0.8–0.9). This enhanced aerosol absorption was
shown to affect atmospheric dynamics and the for-
mation of clouds and precipitation.

To understand the effect of human activity on
climate, through the emission of aerosol, it is impor-
tant to distinguish among the different natural and
man-made aerosol sources. This understanding is
aided by satellite measurements of the presence and
strength of fires (Figure 1) and the simultaneous
emission of carbon monoxide that is largely a man-
made product. Both fires and CO are measured
simultaneously with the aerosol measurements by
instruments on the EOS/Terra satellite.

Aerosol Direct Radiative Forcing
of Climate

The presence of aerosols modifies the solar radiation
reflected at the top of the atmosphere (TOA) as well as
the radiation transmitted at the bottom. Aerosols also
redistribute the energy within the atmosphere. Esti-
mates of the aerosol direct radiative effect are at
present based largely upon models that simulate the
aerosol cycle (sources, transport, and sinks) and
estimate their radiative properties from an a priori
knowledge of the global aerosol distribution. Because
computations of the model-simulated albedos require
a rough description of the aerosol properties, this
approach introduces significant errors into the esti-
mates of forcing.

For better assessment of the aerosol direct radiative
effect, satellite measurements are very convenient,
since they measure directly the radiances reflected by
the atmosphere. Even should some shortcomings be
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present in the derivation of the aerosol properties, we
can still reasonably assume that the radiative quanti-
ties can be well restituted and that the conversion of
the reflected radiances into fluxes is quite accurate. So,
the aerosol properties derived from the measurements
are used as inputs of the radiative code. Figure 13
shows the short-wave radiative flux change over ocean
due to the presence of aerosols as estimated from
the POLDER data. The global mean is around

�5:5Wm�2 and is fairly constant over the 8 months
of POLDER data. Contrast can be observed for both
hemispheres; in the Northern Hemisphere the cooling
is larger than in the Southern Hemisphere by 1 to
3Wm�2 and depends on the season. Flux can also be
derived directly from the radiances. Flux is the two-
dimensional angular integral on the radiance, and
aerosols’ properties are needed only to extrapolate the
radiance from a particular direction to the integrated
flux value. Using this principle, one of MODIS’s
benefits has been the reconstruction of the aerosol
fluxes from the measured radiance and the derived
aerosol products.

To derive the aerosol complete radiative effect,
the satellite measurements have to be complemented
by measurements at the surface, and the AERONET
network of sky radiometers has been shown to be
very suitable. The instrument measures the sky
radiance in the principal plane in four spectral
bands. The sky radiance can be converted easily into
flux, in a similar way to that used for the satellite
radiances, but with even higher accuracy, since the
angular representation of the sky radiance observed by
AERONET in the principle plane is much better. One
advantage of the technique is that the results are not
contaminated by the presence of clouds, since
the corresponding cloudy data are excluded from the
computations. Themeasured 24-hour average aerosol
impact on the solar flux at the surface per unit optical
thickness has been estimated to be around DF=Dt ¼
�80Wm�2 in sites where smoke, dust, or urban/
industrial pollution is present. In cases of high
amounts of broken clouds, the effect is reduced
to �50Wm�2.

Figure 12 Landsat TM images of dust over the coast of Senegal. (A) 3 May 1987, dust optical thickness of t ¼ 0:8. (B) 17 April 1987,

heavydustwith optical thickness t ¼ 2:4. Both imagesweremadewith the samecolor enhancement. Color scale: 0.49mm(blue), 0.55mm
(green), and 0.66mm (red).
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Figure 13 Global and hemispheric means in aerosol radiative

perturbation from POLDER/ADEOS1. (Reproduced with permis-

sion from Boucher O and Tanré D (2000) Estimation of the aerosol

perturbation to the Earth’s radiative budget over oceans using

POLDER satellite aerosol retrievals. Geophysical Research

Letters 27: 1103–1106.)
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Figure 14 (A) Aerosol loading derived from POLDER measurement during the spring of 1997. The aerosol loading is described as

aerosol index, a qualitative index that in some conditions is equal to the optical thickness. (B) Cloud droplet radius derived fromPOLDER

measurement for the same period. The unit is microns. (Reproduced with permission from Bréon FM, Tanré D and Generoso S (2002)

Aerosol effect on cloud droplet size monitored from satellite. Science 295: 834–838.)
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Aerosol Indirect Radiative Forcing
of Climate

Aerosol may also have an indirect effect by acting as
cloud condensation nuclei (CCN). Elevated aerosol
concentrations can enhance CCN concentrations and
correspondingly the density of droplets within the
clouds. Consequently the droplet size decreases (for
a similar liquid water concentration). Clouds with

denser droplet populations are brighter because the
distribution of drops has a larger surface area to reflect
solar light. The smaller droplet size also slows the
process of precipitation formation and thus decreases
the precipitation rate. For a cloud to precipitate, the
droplets have to reach a given minimum size (e.g., a
radius of 14 mm) before gravitational settling can start
the process of droplet coalescing and precipitation.
Direct observation of the aerosol effect on the cloud

Figure 15 Example of an AVHRR image over the Amazon basin, showing the presence of fires (red) high clouds that may not interact

with the aerosol (To270K – blue), low clouds (white or bumpy yellow depending on the droplet size) that do interact with aerosol.

Vegetationwith varying concentration of smoke is shown fromgreen to yellow. The black lines are of latitude and longitude. Droplet size is

derived from the reflectance at the 3.7mm channel. (Image produced by Rich Kleidman.)
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albedo was performed from ship tracks on stratocu-
mulus clouds off the coast of California, but there is at
present no global assessment of such a relationship.

From AVHRR/NOAA, a contrast of about 2mm
between the cloud droplets over land and ocean has
been obtained. In addition, a similar pattern was
observed over ocean between the spatial distribution
of the aerosol optical thickness and the distribution of
the cloud droplet effective radius.Owing to the unique
capability of POLDER to detect the presence of
anthropogenic aerosol over land, the results can be
extended to the whole globe. In Figure 14, the
POLDER results are shown. The largest values of the
aerosol loading correspond to regions where the cloud
droplet radius is minimum, e.g., over the Indian
subcontinent and East Asia. The largest cloud drop
radii are observed over remote clean oceanic regions.
In Figure 15 we zoom in to the cloud–aerosol
interaction in the Amazon Basin during the dry season
withheavyandheterogeneousbiomass burning smoke
aerosol. In the figure the AVHRR imagewas processed

to show the aerosol effect on the cloud microphysics.
The basic image is a composite of theAVHRR0.63 mm
(red), 0.83 mm (green), and reflective part of 3.7 mm
(blue) channels. Fires were imposed on the image as
red dots (when the 3.7 mm channel saturates at 325K)
and high clouds, that may not interact with the
aerosol, were separated by dark blue colour. Note
that in the smoke-clear conditions (dark green, in the
top left corner of the image) the clouds are yellow,
indicating large droplets (with a small reflection at
3.7 mm), while in the smoke regions the clouds are
white, indicating small droplets (with a high reflection
at 3.7 mm).Analysis of dozen of images showed that an
increase in the smoke optical thickness from a back-
ground of 0.2 to 0.8 decreases the droplet size by 4–
6 mm.The decrease larger than that found in POLDER
data corresponds to the larger change in the aerosol
optical thickness.

The effect of pollution sources in the otherwise
clean Australian air is shown in Figure 16. The image
shows the effect of pollution plumes on clouds and
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Figure 16 Satellite visualization of the TRMM data of cloud microphysics and precipitation.
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precipitation over south-easternAustralia at 04.44UT
on 21 October 1998. The TRMM VIRS instrument
visible and 3.7 mm channels show clouds with a large
droplet size in the clean area as red (e.g., boxes 1 and 3
in the image) and clouds contaminated by aerosol,
with small droplet size, as yellow (e.g., box 2 in the
image). The white patches in the clean regions 1 and 3
denote precipitation echoes observed by the TRMM
precipitation radar. This is an example of the effect on
cloud microphysics and suppression of precipitation.
Above the image are two plots that show the detailed
measurements. Profiles of the radar reflectivity (Figure
16A) show a strong return in regions 1 and 3 and no
return in the polluted region 2. The profile of the cloud
droplet radius (as a function of the cloud top temper-
ature) is shown in Figure 16B. The polluted clouds of
box 2 show a very small variation in the vertical
distribution of droplet size, not passing the 14mm
threshold needed to start the precipitation process.

Conclusions

In the last decade we have seen the deployment of new
and exciting satellite and ground-based remote sens-
ing instruments. These instruments are changing
remote sensing into a highly sophisticated global
laboratory tomeasure aerosol, their optical properties
and their effects on clouds and radiation.Herewehave

given a few examples that show how the traditional
role of remote sensing of the aerosol optical thickness
is extending to new applications of precise measure-
ments of the contributionof fine and coarse particles to
the aerosol optical thickness, particle size, and ab-
sorption, which more resemble laboratory research
than remote sensing.One advantage of remote sensing
over in situ or laboratory measurements is that the
aerosol is measured in its natural ambient form. There
is no ambiguity regarding the humidity of the air and
the state of the volatile organics in the aerosol
properties. Although remote sensing cannot measure
the aerosol composition, at least the optical properties
and forcing of climate are obtained for aerosol in
natural conditions.

In the next decade, remote sensing will be further
enhanced with the launch of lidars (Figure 17).
Instruments are beingdesigned to combine the spectral
informationmeasured byMODIS and the angular and
polarization information from POLDER into a so-
phisticated mission for aerosol sensing. Together with
field experiments, chemical analysis of aerosol com-
position, chemical transport models, and climate
models, remote sensing may be expected, in the next
decade to resolve some of the outstanding questions
regarding the roles of aerosol in climate and in
atmospheric chemistry, and also its influence on
human health and life on this planet.

Figure17 A3Dvisualization of data collected by the Lidar in SpaceTechnology experiment (LITE) in September 1994, showing a deep

haze layer (yellow to red) over theEasternUSandAtlanticOcean.The yellow lines arewindback trajectories over 5 daysperiod. TheLITE

data extend from the surface level up to 20 km. (Image reproduced with permission from the web site: http://www-calipso.larc.nasa.gov/

calipso.html)
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Kaufman YJ, Tanré D, Boucher O (2002) A satellite view of
aerosols in the climate system. Review for Nature 419:
215–223.

King MD, Kaufman YJ, Tanré D and Nakajima T (1999)
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Introduction

On any given day, clouds cover about 65% of the
planet. In a fairly stable atmosphere, clouds may be
cellular in appearance (i.e., cumuliform), or may
appear in sheets (i.e. stratiform) that may extend
over large horizontal distances. While these clouds
may extend over wide areas, their typical geometric
thickness is less than 1 km. In unstable atmospheres,
cloudsmay extend fromnear the planet’s surface to the
upper troposphere. As most of the tropospheric water
vapor resides near the surface, where temperatures
tend to be relatively warm, low-level clouds tend to be
composed of water droplets and are typically opaque
to a viewer. The opacity is denoted in terms of a
quantity known as optical thickness, or optical depth,
and is a dimensionless measure of light attenuation
caused by the scattering and absorption of energy by
atmospheric particles. Clouds forming near the tropo-
pause reside at very cold temperatures and are
composed typically of ice crystals. For clouds at
intermediate heights between the planetary boundary
layer (B1 km above the surface) and the troposphere,
clouds may be composed of amixture of water and ice
particles. Water and ice clouds interact with solar
radiation differently and have a large influence on the
Earth’s radiative energy budget. The energy budget is

composed of both solar and terrestrial radiation. Solar
radiation spans fromultraviolet (UV; lo0:4mmwhere
l is wavelength) to infrared wavelengths (l >5 mm).
A portion of the incoming solar radiation may be
absorbed at the surface and within the atmosphere by
clouds, aerosols, water vapor, and other trace gases
such as carbon dioxide and methane. Subsequently,
absorbed solar radiation is re-emitted at longer wave-
length from 5 mm to 100 mm.

In recent years, data from operational meteorolog-
ical satellites have been analyzed for global cloud
macrophysical properties such as cloud height, phase
(water, ice, or some mixture of both), and microphys-
ical and optical properties such as optical thickness
and particle size. Global cloud observations based on
satellite measurements serve many uses. In numerical
weather models, where the time scale of interest is on
the order of hours to days, satellite-derived cloud and
clear-sky properties from the geostationary satellites
serve as initial conditions for themodels, that is,where
the clouds are at some given time. Numerical weather
models may be regional in extent, covering a specific
area such as North America, or global, in which case
global and near real-time cloud and clear-sky proper-
ties are required for initialization of the models.
Satellite-derived cloud properties are also useful for
developing and testing global climate models where
the time scale of interest is months to years. For this
type of use, cloud properties need to be collected,
analyzed, and ultimately reduced to a global gridded
and time-interpolated product. An example of such a
product would be one where each of the cloud
properties retrieved during the course of a month is
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reduced to amonthly averagewith a time resolution of
every 3 hours.

To date, meteorological satellites have recorded
information over the Earth at a limited number of
wavelengths through the use of specially designed
filter radiometers. The filters allow radiation only over
a very narrowwavelength range to pass through to the
detectors. Such narrowbandwavelengths are typically
chosen in atmospheric ‘windows’, where the atmos-
pheric constituents such as water vapor and carbon
dioxide least attenuate the energy along the path from
the surface, through the atmosphere, and finally to the
satellite. At a minimum, operational satellite data are
recorded at a visible (VIS) wavelength (e.g., 0:65 mm),
a near-infrared (NIR) wavelength (3:82 mm) and an
infrared (IR) wavelength (11 mm). Radiances at visible
and near-infrared wavelengths are often converted
to reflectances whose values range from 0 to 1. IR
radiances are often converted to brightness tempera-
tures through application of the Planck function.
Because of the huge volumes of data collected by
satellites, the data reduction effort can become quite
complex. This article discusses some of the available
methods to infer cloud properties such as cloud top
pressure, phase, optical thickness, and particle size.

Cloud Top Pressure, Height,
and Temperature

Over the past 20 years, a number of approaches have
been developed to infer cloud top heights from satellite
data. The simplestmethod is to use ameasurement at a
single wavelength – specifically, the IR radiance or,
equivalently, the brightness temperature at 11 mm.
Data on the atmospheric state (vertical profiles of
wind, temperature, and humidity) are obtained from a
global, gridded meteorological product available, for
example, from theNationalOceanic andAtmospheric
Administration (NOAA), or by rawinsondes. Rawin-
sondes are comprised of instrumentation packages
carried aloft by balloons, and are launched from a
variety of sites around the globe twice per day. The
cloud top is derived as the height where the measured
brightness temperature matches the profile tempera-
ture. While the approach is simple, the operating
assumption in this technique is that the cloud is opaque
in the radiative sense, meaning that no radiation is
being transmitted through the cloud from the atmos-
phere or surface below the cloud. Low-level clouds
tend to be more opaque than high-level ones such as
cirrus, but globally only a small percentage of the
clouds fall in this category.

The International Satellite Cloud Climatology
Project (ISCCP) infers cloud properties such as cloud

height and optical thickness using both the VIS and IR
channels for data collected during daytime hours, but
only the IR band for nighttime data. The ISCCP
approach involves analysis of geostationary satellite
data, which are recorded typically every 3 hours over a
specific geographical region, and polar-orbiting plat-
forms, which obtain data globally but see any specific
region on the planet twice daily, once during daytime
hours and once during nighttime hours. Cloud prop-
erties such as cloud height and optical thickness are
inferred through comparison of measured VIS and IR
radiances with simulations provided by radiative
transfer models. The models provide a set of prede-
fined radiative transfer calculations for water and ice
clouds as a function of cloud height, temperature,
viewing angles (solar zenith, viewing zenith, and
relative azimuth angles), cloud phase, optical thick-
ness, and other variables. The ISCCP approach ismost
accurate for those clouds that are optically thick, such
as low-level water clouds and clouds generated in
convective situations such as in midlatitude frontal
regions. This bispectral approach is not optimal for
inferring the properties of optically thin clouds such as
cirrus.

On many satellite platforms, measurements are
obtained at wavelengths located in the 15 mm wave-
length region, a region in which atmospheric trans-
mission is dominated by atmospheric CO2. As the
wavelength increases from 13:3 mm to 15 mm, the
atmosphere becomes more opaque owing to CO2

absorption, thereby causing each channel to be sensi-
tive to a different portion of the atmosphere. This
sensitivity is demonstrated in Figure 1, which shows
weighting functions for wavelengths ranging from 12
to 14 mm. Each channel has a peak in its weighting
function that occurs at a different pressure level from
the other channels. The 12 mm channel is shown for
comparison – note that its weighting function peaks at
the surface. This is a ‘window’ channel that is
insensitive to CO2. In the 1970s, a technique known
as CO2 slicing was developed to infer cloud top
pressure and effective cloud amount (the product of
the cloud fraction and the cloud emittance) from
radiances measured at wavelengths between 13.3 and
14:2 mm. The pressure at cloud level is converted to
cloud height and cloud temperature through the use of
gridded meteorological products that provide temper-
ature profiles at some nominal vertical resolution
every 6 hours. One benefit to this algorithm is that
cloud properties are derived similarly for both daytime
and nighttime data, as the IRmethod is independent of
solar illumination conditions. This approach is very
useful for the analysis of midlevel to high-level clouds,
and even optically thin clouds such as cirrus. The
drawback in the use of the 15 mm channels is that the
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signal-to-noise ratio becomes small for clouds occur-
ring in the lowest 3 km of the atmosphere, making a
retrieval problematic for low-level clouds. When low
clouds are present, the 11 mm channel is used to infer
cloud height.

Cloud Thermodynamic Phase

While the cloud phase is extremely important in
radiative transfer simulations of clouds and the
retrieval of cloud properties, it is not always straight-
forward to determine a cloud’s phase. If the cloud is
located in the upper troposphere where the tempera-
tures are extremely cold, it is assumed to be composed
of ice. Conversely, if the cloud is located in the
boundary layer overwarm surfaces, it is assumed to be
water. The difficulty lies in the inference of phasewhen
the cloud top temperature lies between perhaps 240
and 273K. If the cloud temperature is below 233K,
the homogeneous nucleation temperature, it will be
composed of ice. If the cloud temperature is above
273K, it will be composed of water. If the cloud has a
temperature between 233 and 273K, it might be ice,
water, or some mixture of both. In the high-latitude
storm tracks in either hemisphere, large-scale strati-
form cloud decks tend to form with cloud top
temperatures in the 250 to 265K range, and cloud
phase is quite difficult to discern.

At temperatures below 273K, the supersaturation
of ice is much higher than the supersaturation with
respect to water. If water vapor is present in an
atmospheric layer at a temperature in this range, say
260K, and both water and ice particles are present in
this layer, then the water vapor will preferentially
condense on the ice particles rather than the water
particles. As the ice crystals become larger, which may
occur over the course of seconds to minutes, the
growing ice crystalswill begin to fall through the cloud
layer. The result may be that the top of the cloud layer
is populated primarily by water droplets, with ice
crystals falling through the cloud base. In themiddle of
the layer, the cloud particles may take on aspects of
both ice andwater, consisting of an ice corewithwater
droplets that have attached to the icy surface through a
process called riming. The inference of cloud phase
from satellite data under these conditions is quite
challenging.

Two methods are presented here to infer cloud
phase. One method involves IR radiances measured at
8.5 and 11mm. The radiances are converted to
brightness temperatures through the Planck function,
and the phase is inferred from the brightness temper-
ature difference (BTD) between the 8.5 and 11 mm
brightness temperatures (BTD[8.5–11]) as well as the
11 mm brightness temperature. Ice clouds exhibit
positive BTD[8.5–11] values, whereas water clouds
tend to exhibit highly negative values. There are three
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contributing factors to the behavior of the BTD
[8.5–11] for ice and water clouds. First, the imaginary
component of the index of refraction (mi) differs for
ice and water at these two wavelengths. Second, while
the atmosphere is relatively transparent to gaseous
absorption, absorption by water vapor in the atmos-
pheric column above the cloud can still exert a
considerable effect on the BTD values. As most of
the atmosphericwater vapor resides in the lower layers
of the atmosphere near the surface, the BTD[8.5–11]
values will be most affected by the water vapor in a
column above low-level clouds rather than high-level
clouds that reside above most of the water vapor.
Third, while a small effect, cloud particles scatter
radiation even at the IR wavelengths, and clouds with
smaller particles will tend to scatter more radiation
than those with larger particles. Multiple scattering
radiative transfer calculations show that for ice
clouds, the BTD[8.5–11] values tend to be positive in
sign, whereas for low-level water clouds the BTD
[8.5–11] values tend to be very negative (o� 2K).

The second method is based on reflectances ob-
tained at a visible (VIS)wavelength andanear-infrared
(NIR) wavelength (e.g., 0:65 mm and 1:64mm, respec-
tively). At wavelengths less than about 0:7 mm, clouds
composed of either liquid or ice tend to absorb very
little solar radiation. However, at 1:64 mm, the mi

values for both water and ice increase in comparison
with those at the visible wavelength and diverge, with
mi for ice being greater than the value ofmi for water.
From this line of reasoning, one might expect that for
two different clouds (one ice, one water) of similar
particle size and habit (or particle shape) distributions,
the cloud reflectance at 0:65 mm would not depend
much on thermodynamic phase, while the cloud
reflectance at 1:64 mm would. In theory, given two
clouds of differing phases, where each has a fairly high
optical thickness and a similar particle size, one might
expect the 1:64mm reflectances for the ice cloud to be
less than those for the water phase cloud.

Cloud Optical Thickness and
Particle Size

The fundamental optical properties of clouds are
cloud optical thickness and the single scattering
properties of cloud particles, which include the
single-scattering albedo, the scattering phase function,
the scattering/absorption/extinction efficiencies, and
the asymmetry factor of the scattering phase function.
These parameters essentially determine how much
incident radiation is reflected or absorbed by clouds.
The single-scattering albedo is defined as the ratio of
the portion of energy scattered by a particle to the total

extinction (scattering 1 absorption) of energy by the
particle. The phase function specifies the percentage of
radiative energy that is not absorbed but is instead
redistributed by the action of scattering by cloud
particles when radiation impinges on clouds. The
asymmetry factor of the phase function describes the
ratio of forward scattered to backscattered energy, and
is a quantity often used in radiative flux calculations.
In practice, the single-scattering albedo and the
asymmetry factor are parameterized in terms of
analytical functions (normally polynomials) of par-
ticle effective size for both water and ice clouds. In
many radiative transfer models, the radiative proper-
ties of clouds are described in termsof particle effective
size and either liquid or ice water content (LWC or
IWC), depending on the cloud phase. Cloud optical
thickness and particle effective size are crucial to the
accurate determination of bulk radiative properties of
clouds. For this reason, substantial efforts have been
made to retrieve cloud optical thickness and effective
particle size globally from satellite data.

Various methods have been suggested to derive the
optical thickness and particle effective size based on
narrowband radiometer measurements by airborne or
satellite-based imagers. Operational methods tend to
rely on IR bands or a combination of VIS and NIR
bands. The IR approach depends on the spectral
information from thermal emission of clouds,whereas
the VIS–NIR approach is based on the reflection of
solar radiation. Nakajima and King were among the
first to use reflected solar radiation to retrieve cloud
optical thickness and effective particle size simultane-
ously for water clouds. The typical infrared technique
employs the brightness temperature or BTD values
based on window channels at 8.5, 11.0, and 12:0mm.
Regardless of the detailed spectral information in-
volved in these two methods, they are similar in that
both depend on comparison of measured radiance
data with simulated radiances derived for similar
viewing and atmospheric conditions.

The first step in this process is to discuss the
generation of reliable libraries of simulated cloud
radiances. Single-scattering calculations must be
carried out regarding how individual cloud particles
interact with incident radiation. For water clouds, the
liquid droplets can be well approximated as spheres
for light scattering. The scattering properties of an
individual liquid sphere can be calculated by using the
well-known Lorenz–Mie theory that has been docu-
mented in many texts. Hansen and Travis have
extensively discussed the effect of size distribution on
single-scattering properties of spheres. Their work
provides a theoretical framework for using the bulk
radiative properties of liquid droplet distributions,
which is briefly recaptured here.
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Within a given water cloud, liquid water droplets
span a range of sizes that may be represented math-
ematically in terms of the gamma distribution, given
by

n rð Þ ¼ N0 reffVeffð Þ Veff�1ð Þ=Veff

G ð1� 2VeffÞ=Veff½ � r 1�3Veffð Þ=Veff

� exp
�r

reffVeff

� �
½1�

where N0 is the total number of the droplets in a unit
volume; reff and Veff are the effective radius and
effective variance that are defined, respectively, as
follows:

reff ¼
R r2
r1
r3n rð Þ drR r2

r1
r2n rð Þ dr ½2�

Veff ¼
R r2
r1

r� reffð Þ2r2n rð Þ dr
r2eff
R r2
r1
r2n rð Þ dr ½3�

Were one to plot the gamma distribution, one would
find that the peak location of the distribution is
determined by reff, and thatVeff affects thewidth of the
distribution. Typical values of the effective variance
for water clouds range from 0.05 to 0.1. For a given
size distribution, the bulk scattering properties of
cloud droplets may be calculated. For example, the
phase function averaged over a size distribution is
given by

P yð Þh i ¼
R r2
r1
ss rð ÞP y; rð Þr2n rð Þ drR r2
r1
ss rð Þr2n rð Þ dr ½4�

where ss is the scattering cross-section of droplets and
Pðy; rÞ the phase function for droplets with radii of r,
which describes the angular distribution of scattered
radiation versus scattering angle y.

Figure 2 shows the phase functions averaged for size
distributions for water clouds at wavelengths 0.65,
1.63, and 8:52 mm. For the 0:65mm wavelength, the
phase function corresponding for a large reff displays
scattering maxima at 1401 and 1801. Physically, the
twomaxima correspond to the rainbow and the glory,
both characteristic features of Mie scattering. The
phase functions at the NIR wavelength are similar to
those at 0:65 mm, but the rainbow and glory peaks are
somewhat reduced by absorption within the particle.
At the IR wavelength of 8:52mm, the scattering
maxima of the phase function are largely smoothed
out due to absorption.

Another measure of the relative amounts of scatter-
ing versus absorption is provided by the single-
scattering albedo. At 0:65mm, the scattering of inci-
dent radiation by cloud droplets is conservative,
meaning that energy may be scattered, but not

absorbed, by the particles. Thus, the single-scattering
albedo is unity at 0:65 mm but less than unity at
1:63 mm. The particle size also affects the single-
scattering albedo at 1:63mm. For example, for effec-
tive sizes 4 mmand32mm, the particle single-scattering
albedo is unity at 0:65 mm whereas the corresponding
values at 1:63 mmare 0.9976 and 0.9824, respectively.
Because of the difference in single-scattering albedo at
the two wavelengths, cloud reflection at 0:65mm is
essentially a function of optical thickness. At 1:63mm,
however, cloud reflectance is sensitive to droplet
effective size. This feature of cloud reflectance
provides a mechanism to retrieve cloud optical thick-
ness andparticle sizes using two channels at visible and
near-infraredwavelengths, aswill be further explained
later in this section.

Cirrus clouds are composed almost exclusively of
nonspherical ice crystals with various sizes and habits
(i.e., shapes). Observations based on airborne two-
dimensional optical cloud probes (2D-C) and balloon-
borne replicator data show that typical cirrus habits
include relatively simple shapes such as bullet rosettes,
solid and hollow columns, and plates, as well as more
complex shapes such as aggregates. Research is
underway to determine how to calculate accurately
the single-scattering properties of these nonspherical
ice crystals. In practice, methods such as the discrete
dipole approximation (DDA), finite-difference time
domain (FDTD) technique, or the T-matrix method
are used to calculate the scattering properties of small
ice crystals. For ice crystalswith sizesmuch larger than
incident wavelength, scattering calculations are per-
formed using the ray-tracing technique based on the
principles of geometric optics.

Figure 3 shows the phase functions at 0:65 mm
wavelength for four types of ice crystals: plates, hollow
columns, bullet rosettes, and aggregates. In Figure 3,
the particle shapes analytically defined for calculations
of light scattering are compared with those
obtained from observations in situ. Scattering calcu-
lations for aggregates include the effect of surface
roughness but the other habits have smooth surfaces.
Plates, hollow columns, and bullet rosettes display a
strong scattering peak at 221, and are produced by the
hexagonal structure typical of ice crystals. In addition
to the peak at 221, plates and bullet rosettes display a
small peak corresponding to a 461 halo. Bullet rosettes
display a strong peak at 101 that is caused by ray
refraction through the pyramidal part of the bullet
elements. Compared with the phase function for
pristine crystal habits such as plates and columns,
the phase function for aggregates is essentially fea-
tureless owing to the roughened surface texture. The
rougher the particle, the more featureless is the phase
function.
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In reality, cirrus clouds are composed of many
different crystal habits. To derive the bulk radiative
properties of cirrus clouds, we need to consider not
only a particle size distribution but also the percent-
ages of the various particle habits that comprise the
cloud. For this reason, the derivation of accurate
radiative transfer simulations of ice clouds is consid-
ered more difficult than for water clouds. For a given
size distribution, a number of definitions have been
suggested for the effective size. However, it has been
found that the bulk optical properties of cirrus clouds
are insensitive to the detailed structure of the size
distribution if effective size is defined as the ratio of
total volume to total projected area, that is

reff ¼
3

4

R P
i

fiVi Dð Þn Dð Þ dDR P
i

fiAi Dð Þn Dð Þ dD ½5�

whereD is themaximumdimension of an ice crystal, fi
is the percentage for ith particle habit,V andA are the
volume of and projected area for an individual
particle, n is number concentration, and D is the
maximumdimension. Unlike the case of water clouds,
there is no single analytical expression to describe
particle size distributions of cirrus clouds. Only a
limited number of measurements in situ are available
from cirrus clouds. Part of the difficulty is that aircraft
must be able to reach high altitudes, making this a
more difficult process than for sampling low-level
water clouds. Table 1 lists the effective radii for 12
in-situ size distributions for cirrus clouds. For crystals
smaller than 70 mm, we assume that 50% of crystals
are bullet rosettes, 25% are hexagonal plates, and
25% are hollow columns. For crystals larger than
70 mm, the percentage is assumed to be 30% for
aggregates, 30% for bullet rosettes, 20% for hexa-
gonal plates, and 20% for hollow columns. This
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microphysical model for cirrus clouds in terms of
particle habit has been used in many practical retriev-
als of cirrus clouds from satellite imager data. Obser-
vations in situ indicate that the effective radius of ice
crystals in cirrus clouds range typically from 7 mm to

60 mm. Larger particle radii might be expected for ice
clouds formed in convective situations where the
updrafts are much faster, at meters per second, than
those found under conditions where optically thin
cirrus clouds tend to form (centimeters per second).
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Given the single-scattering properties, radiative
transfer computations can be carried out for various
cloud optical thicknesses and effective particle sizes
for a number of solar and view angle configurations.
To calculate the bidirectional radiance of clouds, one
can use well-established discrete ordinate or adding/
doubling methods. Figure 4 shows the correlation of
1:64mm reflectance and 0:65mm reflectance of cirrus
clouds for a number of optical thickness and effective
sizes for a given incident-view geometry. The ice
crystal shape is assumed as hexagonal plate or column
in the simulation. Evidently, the 0.65–1.64 mm corre-
lation is sensitive to particle shape. At higher optical
thicknesses (meaning the cloud is more opaque), there
is a ‘quasi-orthogonality’ between the optical thick-

ness and particle size curves. As we have mentioned
previously, the cloud reflectance at 0:65mm is sensitive
primarily to cloud optical thickness whereas the
reflectance at 1:64mm is sensitive to the particle size.
This orthogonality forms the underlying principle for
application of the two-channel correlation technique
for retrieving cloudoptical thickness and effective size.
For example, assume the symbol ‘X’ in the left panel of
Figure 4 represents the (0:65 mm, 1:6 mm) reflectance
values for a satellite imager pixel. One may infer that
the cloud optical thickness and effective particle size
for that pixel are approximately 18 and 17 mm,
respectively.

As an alternative or as a complement to theVIS/NIR
bispectral retrieval algorithm, infrared channels in the
window region (8–12 mm) may be used for retrieving
cloud properties. The window region in an important
part of the IR spectrum because terrestrial thermal
emission peaks within this spectral region. IR-based
methods are useful because a single approach may be
used for both daytime and nighttime conditions,
thereby simplifying the data reduction effort and
also the comparison between daytime and nighttime
cloud properties. IR methods are insensitive to sun
glint over water that is often present in operational
data. Interpretation of data over reflective surfaces is
often performed more readily using IR methods ra-
ther than those that involve VIS/NIR wavelengths.

Table 1 Effective size calculated for various sizes distributions

obtained from observations in situ

Cloud type Effective

radius (mm)

Cloud type

(FIRE-II data)

Effective

radius (mm)

Ci (cold) 6.7

Cs 14.5 Oct. 22 47.4

Ci (warm) 19.7 Oct. 25 50.7

Ci uncinus 58.9 Oct. 28 48.6

Ci (T ¼ �20�C) 25.0 Nov. 1 32.0

Ci (T ¼ �40�C) 28.0 Nov. 2 40.0

Ci (T ¼ �60�C) 9.55
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Figure 4 Theoretical relationship between the reflection function at 0.65 and 1:64mm for various values of cloud optical thickness and

effective particle radius. Hexagonal plate and columnare assumed for the results shown in the left and right panels. The solar zenith angle

is assumed to be 30 degrees with a nadir view geometry.

SATELLITE REMOTE SENSING / Cloud Properties 1963



The underlying principle for infrared retrieval is based
on the sensitivity of the brightness temperature or the
cloud emissivity (related to blackbody or graybody
emission) to cloud optical thickness and particle size.
The brightness temperature is the temperature that,
when applied to the calculation of Planck function for
blackbody radiation, gives the same value as the
satellite-measured infrared radiance. The cloud emis-
sivity can be calculated as follows:

e lð Þ ¼ R Bð Þ � R

R Bð Þ � R Cð Þ ½6�

where R is the upwelling radiance at the cloud top,
RðBÞ the upwelling radiance at the cloud bottom, and
RðCÞ the upwelling blackbody radiance correspond-
ing to the cloud temperature. In practice, for a given
scene, the radiance at cloud base can be obtained by
the noncloudy (i.e., clear-sky) pixels.

Future Challenges in Cloud Property
Retrieval

Current efforts to derive a global cloud climatology
from satellite data generally do not account properly
for multiple cloud layers in pixel-level imager data. To
date, operational algorithms are designed to infer
cloud properties for each imager pixel under the
assumption that only one cloud layer is present.
Climatologies of retrieved cloud properties do not
address the effect of an optically thin upper cloud
layer, such as cirrus, which may overlie a lower cloud
layer such as a cumuliform cloud deck. Surface
observations show that clouds often occur in multiple
layers simultaneously in a vertical column, i.e., cloud
layers often overlap. Multiple cloud layers occur in
about half of all cloud observations and are generally
present in the vicinity of midlatitude fronts and in the
tropics where cirrus anvils may spread hundreds of
kilometers from the center of convective activity.
When multilayered clouds are present, the retrieval
algorithms will generally place the cloud layer at a
height between the two (or more) actual layers present
in the field of view. Satellite cloud climatologies
currently available provide a horizontal distribution
of clouds, but need improvement in the description of
the vertical distribution of clouds. At this point, no
reliable method has been developed for the retrieval of
microphysical cloud properties (optical thickness,
cloud thermodynamic phase, effective particle size)
when multilayered, overlapping clouds are present.

Even for a single-layered cloud, satellite retrieval
algorithms do not account for the effect of a likely
vertical variation of cloud microphysical properties,
which in turn will decrease the ability of radiative

transfer calculations to accurately simulate the cloud.
It is unlikely that cloud particles are homogeneously
distributed throughout any given cloud. For example,
for midlatitude cirrus ice crystal size and habit are
typically quite different at cloud top and cloud base. A
common assumption in satellite-imager-based cirrus
retrieval algorithms is that the radiative properties of a
cirrus cloud may be represented by those associated
with a specific ice crystal shape (or habit) and a single
particle size distribution. However, observations of
cirrus clouds have shown that pristine small ice
crystals with hexagonal shapes having an aspect ratio
close to unity (length and width are approximately
equal) are predominant in top layers. The middle
layers of cirrus are often composed of well-defined
columns and plates, while irregular polycrystals or
aggregates are dominant near cloud base.

Another interesting area of complexity in satellite
remote sensing is caused by mixed-phase clouds.
Single-layered clouds composed of mixtures of super-
cooled water droplets and ice particles have been
observed frequently during various field campaigns.
Recent analyses of these data and MODIS satellite
cloud property retrievals highlight the difficulty of
ascertaining phase. If mixed-phase clouds are present
in the data, one might expect larger errors in retrieved
properties such as optical thickness and particle size
than clouds that are primarily of a single phase. From
the perspective of satellite remote sensing, theworking
assumption is that any imager pixel contains either ice
or water, but not a mixture. There is no rigorous
method available for determining the single-scattering
properties of mixed-phase clouds. From the micro-
physical cloud process perspective that is important
for developing cloud model parameterizations, the
presence of both ice particles and supercooled water
dropletswill affect cloud lifetime.Why? It is likely that
the ice particles will grow much more quickly from
vapor deposition than the water droplets, as the
environment may be supersaturated with respect to
ice. The result of this process is that the ice particles
will rime, grow quickly in size, and fall through the
cloud, and the availablewaterwill be depleted quickly.
The process of glaciation is very important for
modelers because thewater–ice conversion rates affect
cloud lifetime. Details of cloud microphysics, such as
cloudwater amount, cloud ice amount, snow, graupel,
and hail are important for improving cloud retrieval.

While approaches exist to retrieve a variety of cloud
properties from satellite imager data, it is not an easy
problem to compare the satellite retrievals with
ground-based measurements of the same cloud. Com-
parisons are often attempted between surface-based
measurements at a fixed location over a long time and
satellite measurements that are instantaneous over a
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wide area. While these are difficult and often require
inventiveness, some confidence in retrievals is often
gained through such painstaking efforts. For some
cloud properties, it may be possible to compare
measurements derived from two or more different
satellite instruments; thiswill be one of themore active
areas in future research.

See also

Aerosols: Role in Cloud Physics. Cloud Chemistry.
Cloud Microphysics. Clouds: Classification; Climatolo-
gy; Measurement Techniques In Situ. Convective Cloud
Systems: Modelling. Mesoscale Meteorology: Cloud
and Precipitation Bands. Noctilucent Clouds. Parame-
terization of Physical Processes: Clouds.
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Introduction

This article outlines two measurement types that are
made with the Global Positioning System (GPS)
satellite constellation. Radio occultation is a satel-
lite-to-satellite, limb sounding technique that is based
on measuring how radio signals are refracted when
propagating through the Earth’s atmosphere. It can be
shown that, assuming spherical symmetry, this infor-
mation can be invertedwith anAbel transform to yield
a refractive index profile. When the atmosphere is dry
the refractive index profile can subsequently be used to
solve the hydrostatic equation, and temperature pro-
fileswith an accuracy ofB1Kanda vertical resolution
of B1km can be derived. More generally, if water
vapor cannot be ignored, statistically optimal retrieval
techniques can be used to extract information on both
temperature and water vapor from the measurement.
Typical horizontal and vertical scale lengths are
derived and the inherent limitations and possible
applications of the measurements are discussed.
Ground-based GPS measurements are also described.
The atmosphere reduces the velocity of theGPS signal,
and the additional time taken for a signal to propagate
a known distance between a transmitter and a receiver
near the surface of the Earth can be inverted to provide
an estimate of the total integrated water vapor in a
vertical column above a receiver. The accuracy of the
measurement is B1–2 kgm� 2.

The Global Positioning System

The GPS is a constellation of 24 satellites in six orbital
planes about the globe. Each satellite has a circular
orbit with an inclination of 551, a period of 12 hours,
and an altitude of 20 200 km. It transmits radio
signals at two frequencies, L15 1575.42MHz and
L25 1227.6MHz. Although the primary purpose of
the GPS is a tool to aid precise positioning and
navigation, it also provides the opportunity for some
novel approaches to remote sensing of the Earth’s
atmosphere. These arise because the velocity of a GPS
signal propagating through the Earth’s atmosphere is
reduced because of the refractive index of the medium
and the ray paths are curved as a result of refractive
index gradients. These two factors increase the time
taken for signals to propagate between GPS satellites
and receivers a known distances apart. In broad terms,
GPS meteorology is concerned with inverting this
additional time delay in order to retrieve useful
atmospheric information.

The two main branches of GPS meteorology deal
with radio occultation (RO) with GPS and ‘ground-
basedGPS’measurements. The former is a satellite-to-
satellite, limb sounding technique based onmeasuring
how the ray paths of GPS radio signals are bent by
atmospheric refractive index gradients. It can be
shown that, by making certain assumptions such as
spherical symmetry, the variation of bending angle
with height can be inverted to yield a refractive index
profile and subsequently a temperature profile. The
technique was pioneered within the astronomical
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community and has been used by NASA to study the
atmospheres and ionospheres of other planets since
the 1960s. It was suggested as early as 1965 that the
measurement technique could be applied to sounding
the Earth’s atmosphere, but it became a feasible
proposition only after deployment of the GPS satellite
constellation. The ‘proof of principle’ GPS Meteoro-
logy (GPS/MET) experiment –which began producing
data in 1995 – was a success, demonstrating that RO
measurements using GPS could provide globally
distributed temperature profiles with an all-weather
capability to an accuracy of B1K and a vertical
resolution of B1–1.5 km.

Ground-based GPS measurements provide a means
of estimating the total integrated water vapor in the
vertical column above a receiver on the Earth’s surface
with an accuracy ofB1–2 kgm� 2. Many of the ideas
in this area originate from work by geodesists and
geophysicists who spent a great deal of effort trying to
estimate and remove atmospheric ‘noise’ when at-
tempting precise positioning or range finding meas-
urements with GPS.

Basic Principles of Radio Occultation

The geometrical optics approximation describes the
physical basis of the RO measurement. When electro-
magnetic radiation propagates through a medium of
varying refractive index, n, its phase velocity becomes
c=n and the direction of its path is modified in order to
satisfy Snell’s Law,

n sin g ¼ constant ½1�

where g is the angle between the ray direction and the
local refractive index gradient vector. The ray path
through the medium satisfies Fermat’s principle of
least time and is referred to as ‘the path of stationary
phase’.

In RO the electromagnetic radiation is produced by
a GPS transmitter and the refracting medium is the
Earth’s atmosphere. The geometry of an RO meas-
urement withGPS is illustrated in Figures 1 and 2. The
radio signal is transmitted by the GPS satellite, passes
through the atmosphere, and is received at a low
Earth-orbiting (LEO) satellite. The ray is refracted, or
bent, in the direction of increasing refractive index,
which is usually directed towards the surface. The
motion of the satellites, principally the LEO, enables
the different levels in the atmosphere to be sounded.
The variation of the bending angle, a, with tangent
point height, where the ray is parallel to the Earth’s
surface, can then be determined. To a first approxi-
mation, the bending angle decreases exponen-
tially with increasing tangent point height, i.e.

a expð�z=HÞ, where H is approximately the atmos-
pheric density scale height. The magnitude of a
bending angle near the surface is typically of order
11. The time required to sample tangent points
between an altitude of 80 km and the surface is of
order 1minute.

The bending angle and tangent point height are not
measured directly. The receiver on the LEO satellite
measures the phase of the GPS signal. An excess phase
delay,Dc, is introduced because the ray path is curved,
rather than the straight line connecting the satellites.
This can be written as

Dc ¼ 1

l

Z
nðsÞds� d

� �
½2�

Receiver

Transmitter

Earth
Atmosphere

Sounded region

Figure 1 Schematic illustrating the radio occultation concept. A

radio signal transmitted by the GPS satellite passes through the

atmosphere and is received at the LEO satellite. The motion of the

satellites, principally the LEO, enables a region of space to be

probed.

GPS

LEO

Tangent point

a

r R

r T

s

Figure 2 Geometry of an individual RO bending angle meas-

urement. The magnitude bending angle has been exaggerated for

illustration purposes. The bending angle, a, is the angle between

the ray tangent vectors at the satellites. The impact parameter, a,

would be the distance of closest approach in the absence of any

bending. rT and rR are the radius values of the GPS and LEO

satellites, respectively.
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where the integral is along the ray path s; l is the
wavelength of the signal, n the refractive index, and d
the straight line distance between the satellites. Both
satellites are in motion, so the frequency of the
received signal is Doppler-shifted. The time derivative
of the excess phase, Dc, gives the additional Doppler
shift introduced by the atmosphere, Df , which arises
because the bending modifies the angle of intersection
at the satellites relative to the straight line path. This
additional Doppler shift can be written as

Df ¼ 1

l
ðVT . k

T � VR . k
R � ðVT � VRÞ . kÞ ½3�

where VT and VR are the transmitter and receiver
velocity vectors respectively, kT and k

R are the unit
vectors of the ray at the transmitter and receiver, and k
is the unit vector of the straight line connecting the
transmitter and receiver. The total bending angle is
given by a ¼ cos�1 ðkT . kRÞ, so Df and a are clearly
related. However, deriving a from Df is an ill-posed
problem because there is an infinite number of k

T

and k
R pairs that are consistent with Df . The problem

is made well-posed assuming the refractive index field
is spherically symmetric and using Bouguer’s for-
mula. This defines a quantity known as the impact
parameter, a.

a ¼ nr sinf ¼ constant ½4�

wheren is the refractive index value, r the radius, andf
the angle between the ray vector and the radius vector.
Bouguer’s formula for a spherically symmetric refrac-
ting medium is analogous to the conservation of
angular momentum of a classical particle moving
under the influence of a central force. Geometrically,
the impact parameter, a, represents the distance of
closest approach the ray would have had in the
absence of any bending.

If the position and velocity vectors of the satellites
are known accurately then the bending angle and
impact parameter values can be found by simultane-
ously solving eqns [3] and [4] at the satellite locations,
with an iterative calculation. This is usually performed
assuming the refractive index is unity at the satellites.
Note that the ionosphere also causes bendingof the ray
path paths (in fact, GPS/METROmeasurements have
been used to derive electron density profiles in the
ionosphere), but fortunately it is dispersive, meaning
that the ionospheric component of the refractive index
is frequency-dependent. The GPS satellites transmit at
two frequencies – L1 and L2 – and the ionospheric
signal can be removed or corrected to first order by
taking a linear combination of these bending angle
values.

If the assumption of spherical symmetry is valid, and
the impact parameter is constant along the ray path
then the corrected bending angle as a function of the
impact parameter, aðaÞ, can be written as

a ¼ �2a

Z 1

a

d ln n
dx

ðx2 � a2Þ1=2
dx ½5�

where x ¼ nr. This integral equation can be inverted
with an Abel transform to recover the refractive index
profile,

nðxÞ ¼ exp
1

p

Z 1

x

aðaÞ
ða2 � x2Þ1=2

da

 !
½6�

which can be integrated numerically. A useful substi-
tution for removing the singularity in this integral is
a ¼ x cosh y. Note that the upper limit of the Abel
integral is 1, but in practice signal-to-noise limita-
tions mean that the altitude of the highest bending
angle is B80 km. It is therefore necessary to extra-
polate the measured bending angle profile a further
100 km above the uppermost measurement. This
extrapolation is usually based on some form of
climatological bending angle profile.

Deriving Temperature Information
from Refractive Index Profiles

In the neutral atmosphere the refractive index is
related to the total pressure (in hPa), temperature (in
Kelvins) and water vapor pressure (in hPa) P, T, and
Pw through

n ¼ 1þ 10�6 c1P

T
þ c2Pw

T2

� �
½7�

where c1ð¼ 77:6KhPaÞ and c2ð¼ 3:73�105 K2 hPaÞ
are known constants. The refractive index is often
rewritten as n ¼ 1þ 10�6 N, whereN is referred to as
the refractivity. A refractivity value calculated using c1
and c2 is accurate to within 0.1% under normal
atmospheric conditions. Near the Earth’s surface the
refractivity is typically NB330.

In regions where the atmosphere is dry ðPw ¼ 0Þ; N
is directly proportional to density, r, and the refrac-
tivity profile can be used to integrate the hydrostatic
equation

dP

dz
¼ �rg ½8�

to determine the pressure as a function of height. This
calculation is usually performed integrating down-
wards, towards the surface of the Earth, and it requires
an a priori estimate for the temperature at an upper
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level boundary, where the bending angle signal to
noise is low. This is typically 260K at 50 km. The
vertical temperature profile can be calculated using the
ideal gas law

P ¼ rRT ¼ NT

c1
½9�

where R (5 287 J kg� 1K�1) is the gas constant for
dry air. An example of a GPS/MET temperature
retrieval (data provided by the Jet Propulsion Labo-
ratory) is shown in Figure 3, along with the colocated
NWP profile from the Met Office global forecast
model. More generally, comparisons between temper-
ature profiles derived from RO and colocated radio-
sonde and numerical weather predictions (NWP) data
have demonstrated that the root-mean-square differ-
ences are typically B1.5K between altitudes of
5–30 km.

The Water Vapor Ambiguity

The dry atmosphere approximation is reasonable in
the stratosphere and upper troposphere, but closer to
the surface water vapor makes a significant contribu-
tion to the refractivity and this leads to thewater vapor
ambiguity. This refers to the fact that it is only possible
to derive a temperature profile from the measurement
given independent, a priori (or background) water
vapor information, or conversely derive a water vapor
profile using a priori temperature information. It is
relatively straightforward to adapt the ‘dry’ process-
ing method to incorporate a priori information, but it
should be recognized that the a priori data, derived
from climatology orNWPmodels, contains errors and

these will be mapped into the solution if they are not
accounted for within the inversion method. For
example, a temperature profile can be found by
rearranging eqn [7] and solving

TðzÞ ¼ 1

NðzÞ c1Pþ c2PwðzÞ
TðzÞ

� �
½10�

iteratively, but the magnitude of typical uncertainties
in the a priori water vapor estimate, PwðzÞ, usually
mean that the derived temperatures have large errors,
often exceeding 5K, and are of little practical use.
Deriving a water vapor profile using a priori temper-
ature information, TaðzÞ, with

PwðzÞ ¼ NðzÞT2
a ðzÞ � c1PTaðzÞ

c2
½11�

is more reasonable because the fractional errors in the
a priori temperature tend to be smaller.

The requirement of a priori information to solve the
water vapor ambiguity has led to application of a
statistically optimal retrieval technique to the RO
problem. This accounts for measurement and a priori
errors, and enables the simultaneous retrieval of
temperature and humidity. It has been widely used in
the processing satellite sounder radiance measure-
ments, and the technique has been used to show that
RO measurements potentially contain significant
surface pressure information. The method is based
on a Bayesian approach for finding the most probable
atmospheric state, given an a priori estimate and the
measurement data. It requires solving the forward
problem,mapping a priori temperature, humidity, and
surface pressure information intomeasurement space,
which could be, for example, bending angle or
refractivity as a function height. In simple terms, the
solution is found by adjusting the a priori information
in a way consistent with the estimated errors, in order
to produce simulated measurement values that fit the
observations to within their expected errors. The
solution vector, x̂x, is an optimal fit to both background
ðxbÞ andmeasurement ðyoÞ information. For Gaussian
error distributions, x̂x is found by minimizing a cost
function JðxÞ given by

JðxÞ ¼ 1
2ðx� xbÞTB�1ðx� xbÞ
þ 1

2ðyo �HðxÞÞTðEþ FÞ�1ðyo �HðxÞÞ ½12�

where B is the expected background error covariance
matrix, HðxÞ is the forward model, mapping the
atmospheric information into measurement space,
and E and F are the expected error covariances of
measurements and forward model respectively. The
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Figure3 Acomparisonof aGPS/MET ‘dry’ temperature retrieval

(provided by the Jet Propulsion Laboratory) with the colocated

NWPanalysis. Themeasurement was taken at 01.33 UT on 5May

1995 at 68.81N, 81.31W. The cold bias near the surface apparent

in the GPS/MET profile is a result of the ‘dry’ atmosphere

approximation.
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superscripts T and � 1 denote matrix transpose and
inverse.

Figure 4 shows the temperature and humidity
profiles derived simultaneously with the statistically
optimal approach outlined above, for the RO meas-
urement used in Figure 3. The a priori or background
information is obtained from the Met Office global
NWP model. The solution profiles are found by
adjusting background data in order to fit themeasured
refractivity profile to within its expected error. The
temperature profile reproduces the structure around
the tropopause shown in Figure 3, but the cold bias
near the surface, which arises as a result of the dry
atmosphere approximation, is removed.

Scale Lengths and Resolution

The straight-line distance between the satellites is
around 28 000 km, but most of the bending occurs
over a relatively short section of the ray path, Ds,
centered on the tangent point. The length ofDs andDz,
the corresponding width of the vertical layer over
which most of the bending takes place (see Figure 5),

are related to the refractivity scale height H. If the
refractivity falls exponentially with height ðNðzÞ ¼
Nð0Þ expð�z=HÞÞ and the ray is assumed to follow a
straight line it can be shown that

da
dy

/ exp � 1

2

y� yT
Dy

� �2 !
½13�

where yT is the y (see Figure 2) value at the tangent
point, Dy ’ ðH=RÞ1=2, and R is the radius value at the
tangent point. This is a Gaussian function, so around
68%of the bending occurs within yT � Dy. SinceDy is
small (B0.035 rd), the corresponding horizontal scale
size is Ds ’ 2RDy ¼ 2ðHRÞ1=2 (see Figure 5), where
the factor 2 arises from the symmetry either side of the
tangent point. For a refractivity scale height of H ¼
8 km using R � Re (radius of the Earth)5 6371 km
Ds ’ 450 km. At yT � Dy the ray will be entering and
exiting a layer Dz ¼ H=2ð¼ 4 kmÞ above the tangent
point level (using Dz ¼ Dy2=ð2RÞ.

The values Dz and Ds give a useful indication of the
vertical and horizontal resolution of an individual
bending angle measurement. However, the vertical
resolution of the retrieved refractivity or temperature
profiles can be significantly better because they are
derived from a series of closely spaced (in the vertical)
bending angle values. In fact, the achievable vertical
resolution for an inversionbased ongeometrical optics
is limited by diffraction effects. The geometrical optics
picture of the dimensionless ray path between the
satellites is only an approximation to the actual
propagation of the radio wave, which is valid as the
wavelength approaches zero. In reality, the signal
measured at the receiver originates from a region of
space near the tangent point, with dimensions related
to the diameter of the first Fresnel zone, F0. Conse-
quently, F0 gives a better estimate of the achievable
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Figure 4 Statistically optimal temperature (A) and humidity (B)

profiles derived from the measurement used in Figure 3.
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Figure 5 Horizontal and vertical scale sizes ðDsÞ and ðDzÞ of an
individual bending angle measurement. For an atmosphere where

refractivity falls exponentially with height, with scale height H,

around 68% of the bending occurs over section of path of length

Ds ’ 2ðHRÞ1=2and in a layer Dz ¼ H=2 above the tangent point.
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vertical resolution for an inversion scheme based on
geometrical optics. This is around 1.5 km in the upper
stratosphere, falling to less than 0.5 km nearer the
surface, as a result of the ray bending.

Alternative inversion techniques based on wave
optics can, in principle, provide profiles each with a
vertical resolution superior to the limits imposed by
Fresnel diffraction theory. However, in practice the
assumption of spherical symmetry limits the achiev-
able vertical resolution, since horizontal structures
cause errors in the vertical profile. This is because in
most cases is it unlikely that the fine-scale vertical
structure (hundreds of meters in the vertical) will have
a horizontal scale length of order hundreds of
kilometers and be comparable to that of the measure-
ment.

Limitations and Errors Sources

RO using GPS is undoubtedly an extremely promising
new source of data for atmospheric science, but it
nevertheless has some limitations of which the user
should be aware. For example, the assumption of
spherical symmetry is inherent inmost techniques used
toprocessROdata, because the impact parameter, a, is
assumed to be constant along the ray path. This
suggests that measurement errors will be largest in
regions of strong horizontal gradients, such asweather
fronts, suggesting that more advanced methods,
entailing more careful interpretation of the signal,
will be required in these areas. In addition, sharp
vertical gradients of refractive index, particularly near
the surface, can give rise to problems with ‘atmos-
pheric multipath’. This situation occurs when the
signal measured at the receiver is effectively composed
of multiple rays, which have quite distinct paths
between the satellites. It is often associated with sharp
gradients in the humidity profile. However, more
sophisticated retrieval techniques based on wave
optics can be employed to disentangle the multiple
rays associated with atmospheric multipath and
reduce the errors in the derived profiles. At higher
altitudes, around 50 km, the retrievals are limited by
instrumental noise and residual ionospheric bending
(the signal that is not removed with the first order
ionospheric correction). These factors lead to bending
angle errors of order 1–3 mrad which can produce spot
temperature errors of around 10K near 50 km.

Uses of RO Measurements

The success of the proof-of-principle GPS/MET ex-
periment has led to considerable interest in the
technique in many areas of meteorology and atmos-
pheric science. For example, the high vertical resolu-
tion of the GPS/MET data has recently been exploited

to investigate power spectra gravity waves between
heights of 15 and 30 km and vertical wavelengths of
2–10 km. The data are also of interest to the numerical
weather prediction (NWP) community. A single LEO
provides around 500 globally distributed occultations
per day, and a number of LEO constellations of 6–8
satellites have been proposed. This quantity of data
could be used to provide improved initial conditions
for forecast runs with a process known as data
assimilation. Data assimilation is concerned with
correcting NWP forecast errors by merging the fore-
cast with observations in a statistically optimal way,
thereby providing improved initial conditions for the
next forecast run. Satellite data is playing an increas-
ingly important role in this area and a new source of
high-quality, globally distributed data is of interest to
the NWP community. As a result, considerable
amount of research has been undertaken in order to
establish how best to assimilate RO data into anNWP
model. The direct assimilation of either bending angle
or refractivity are currently considered the best
options. The RO data may also prove useful in the
validation NWP models, particularly in the strato-
sphere.

The measurement of geopotential height of fixed
pressure levels is a useful approach for detecting
warming associated with climate change. In a global
warming scenario the thermal expansion of the
troposphere will increase the geopotential height of
the fixed levels. GPS RO data have a number of useful
properties which make them particularly suitable for
these purposes. First, unlike radiosondes, which are
primarily in the Northern Hemisphere and are over
land, the RO data are globally distributed. Since the
solution of the hydrostatic equation is top-down, the
geopotential height ‘measurements’ depend only on
the bending angles above that height, and therefore do
not require a surface pressure estimate. In addition, the
measurement is basedonan excess phase or timedelay,
rather than the measurement of radiances. As a result,
it is less sensitive to calibration or instrumental drift
issues common to other satellite-based radiometric
measurements. RO has good vertical resolution com-
pared wtih other satellite measurements, and deriva-
tion of the geopotential heights is essentially a linear
problem. Comparisons between GPS/MET RO meas-
urements and NWP analyses have indicated root-
mean-square differences of B20m for fixed pressure
levels in the upper troposphere and lower strato-
sphere. This provides an upper limit for the measure-
ment error, since the NWP data also contain errors.
However, in the context of climate monitoring, it is
important to be aware thatROmeasurementswill also
contain some level of a priori information. For
example, the extrapolation of the bending angle
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profile used in the Abel transform and the assumed
temperature used to initiate the solution of the hydro-
static equation are usually based on a climatology.

Ground-based GPS Measurements

GPS satellites are used to derive the total integrated
water vapor (IWV) in the vertical column above a
receiver on the Earth’s surface. As with RO, the
measurement can described within a geometrical
optics framework. The geometry of such a measure-
ment is illustrated in Figure 6. The path of the radio
signal is slightly curved and the wave velocity is
reduced to c=n. The additional transit time required
for the ray to propagate between transmitter and
receiver is equivalent to an excess path lengthDL. This
has amagnitude of around 2.5m for aGPS transmitter
at zenith, and to a first approximation it increases as
1= sin ewhere e is the elevation angle. The excess path
length, DL, is given by

DL ¼
Z
s

nðsÞds� d ½14�

where the integral is taken over the actual path s and d
is the straight-line distance between the transmitter
and receiver. This can be rewritten in terms of the
refractivity,N, as

DL ¼ 10�6

Z
s

NðsÞ dsþ ðs� dÞ ½15�

where s is the total length of the ray path. In practice
for elevation angles above 151 the bending of the ray
path is small and the magnitude of js� dj is only a
centimeter or less, so the term can be ignored.

In ground-based GPS it is necessary to use a more
accurate expression for the refractive index (or
refractivity) than that given earlier. Neglecting non-
ideal gas effects, the formula usually adopted is

N ¼ c1Pd

T
þ c2Pw

T
þ c3Pw

T2
½16�

where c1 (5 77.6KhPa�1), c2 (5 64.8KhPa� 1), c3
(5 3.776� 105K2 hPa� 1),Pd is the partial pressure of
dry air and Pw is the water vapor partial pressure. This
can be rearranged by defining a new constant
c02 ¼ c2 � ðRd=RwÞc1, where Rd and Rw are the gas
constants for dry air and water vapor respectively,
leading to

N ¼ c1Rdrþ c02Pw

T
þ c3Pw

T2
½17�

Hence it can be shown that the total atmospheric
delay, DL, is composed of a quantity which is referred
to as the ‘hydrostatic delay’, which is the first term on
the right-hand side of eqn [17], and the ‘wet delay’
corresponding to the second and third terms. The
‘hydrostatic delay’ typically represents 90% of the
total value.

In general, the GPS satellite will be at an elevation
angle e and will not be at zenith. However, it is
possible to use ‘mapping functions’, MðeÞ, to relate
the measured total delay, DL, to the total delay at
zenith, DLz. To a first approximation the mapping
function is of the form DLz ’ sin eDL, but more
sophisticated and accurate formulations have been
derived. Having mapped the total delay to zenith,
the hydrostatic component of the zenith delay (ZHD)
can be removed because it can be evaluated to within
a few millimeters or better given a measurement
of the total pressure at the receiver. This leaves
the zenith wet delay terms (ZWD), which can be
equated to

ZWD ¼ 10�6

Z 1

0

c02Pw

T
dzþ

Z 1

0

c3Pw

T2
dz

� �
½18�

The total integrated water vapor (IWV) is given by

IWV ¼
Z 1

0

Pw

RwT
dz ¼ ZWD

k
½19�

where k ¼ 10�6ðc3=Tm þ c02ÞRw. Tm is a weighted
mean temperature which is defined as

Tm ¼
R1
0

Pw

T dzR1
0

Pw

T2 dz
½20�

Note that the definition of Tm means that strictly k
itself is a function of the water vapor profile at the
receiver at the time of themeasurement. However, it is
usually sufficient to estimate a value Tm from a linear
regression of a climatology, using the measured
surface temperature at the receiver Ts. An alternative
approach is to estimateTm from the output of anNWP
forecast and/or use statistically optimal retrieval
techniques to extract the water vapor information
from the measurement. Note that GPS IWVestimates

GPS

Receiver

Ray path

Elevation
angle

Straight line
path

Figure 6 Geometry of the ground-based GPS measurement.

The velocity of the signal is reduced because of the refractive index

of the atmosphere and the ray path will be curved. However, for

elevation angles above 151 the ray bending angle is small, and a

straight-line path is a reasonable approximation.
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are generally within 1–2 kgm�2 of measurements
with water vapor radiometers and radiosondes on
typical IWV values of 20–40 kgm� 2.

See also

Satellites: Orbits; Research (Atmospheric Science).
Weather Prediction: Data Assimilation.
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Introduction

Precipitation is one of the least well measured atmos-
pheric parameters, especially over the vast oceanic
regions of the globe. Two major obstacles contribute
to the lack of comprehensive global precipitation
measurements. First, there are few surface-based
observations over the oceanic areas, which cover
about two-thirds of the Earth’s surface. Second,
precipitation is highly variable in both time and space
compared to atmospheric variables such as tempera-
ture and pressure. Rainfallmeasured by a rain gauge at
a given location canbe significantly different from that
measured just a couple of hundred meters away;
similarly, rainfall measured at a given time can be
significantly different from thatmeasured justminutes
earlier or later. As a result, a high-density rain gauge
network is required in order to reasonably measure
rainfall over a given area if one attempts to derive the
area rain total from rain gauge observations alone.
Such a high-density rain gauge network is generally
not available even in well-developed countries and
regions. Although ground-based radars can provide
better spatial and temporal coverage than rain gauges,

well-calibrated radars are only available in limited
land regions in developed countries. These problems
related to surface-based measurements make satellite
remote sensing of precipitation indispensable.

Satellite remote sensing of precipitation is based on
the radiative intensities emitted or reflected by cloud
and precipitating hydrometeors. For infrared and
microwave wavelengths, the radiative intensity is
often expressed in terms of brightness temperature,
defined as the temperature that is required to match
the measured intensity to the Planck blackbody
function. Brightness temperature in the infrared often
represents the physical temperature of the cloud top
because most clouds are optically thick for infrared
radiation. Microwave radiation, on the other hand,
can penetrate through cloud and rain layers, and its
intensity reflects the integrated contribution by all
water drops and ice particles in the atmospheric
column. In the visible spectrum, the measured ra-
diative intensity is due to the reflection of sunlight by
clouds and surface features. The dependence on
sunlight limits the utility of visible sensing to daylight
hours. Although visible radiation has a deeper penetra-
tion than infrared radiation, visible reflectivity still
represents only the top portion of clouds.

Methods for passive satellite remote sensing of
precipitation may be divided into the following three
categories, based onwhether the information received
by a satellite represents the physical properties near the
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cloud top or over the whole atmospheric column:
(1) sensing by visible/infrared radiation, (2) sensing by
microwave radiation, and (3) sensing by combination
of visible, infrared and microwave radiation. Visible
and infrared methods are physically indirect because
precipitation is derived from the radiative properties
near the cloud top. In comparison, microwave tech-
niques use more direct information on the vertical
distribution of hydrometeors. In the following sec-
tions, the precipitation signatures of different wave-
lengths in the electromagnetic spectra are first
discussed using an actual satellite observation. The
principles of satellite remote sensing under each of
the aforementioned categories are then explained,
omitting specific details of any particular retrieval
algorithm.

It should also be noted that active sensing by space-
borne radars is another important development for
satellite remote sensing of precipitation.However, this
topic is not covered in the following for two reasons.
First, the basic principle of radar sensing from space is
essentially the same as for sensing from ground, i.e., it
employs the radar reflectivity–rainfall rate relation-
ship. Additionally, there has been only one precipita-
tion radar in space so far, the Tropical Rainfall
Measuring Mission Precipitation Radar. Radar sens-
ing from space is still in an early stage.

The Radiative Signatures of
Precipitation

The radiative signatures of precipitation may be
understood by examining the observations of a hur-
ricane shown in Figures 1 and 2, which display data
simultaneously collected by different sensors on the
Tropical RainfallMeasuringMission satellite. Figure 1
is the thermal infrared image over south-eastern
Pacific Ocean. The image covers an area approxi-
mately 720 kmwide by 3050 km long. Figure 2 shows
the observed radiative properties at satellite nadir
along line A–B (see Figure 1), which crosses the outer
cloud band of the hurricane. The parameters shown in
Figure 2 include the space radar-derived rainfall rate
cross-section, the near-surface rainfall rate (also
derived from the space radar), visible reflectivity
(0.63 mm), and brightness temperatures at infrared
(11 mm), and microwave (19 and 85GHz, horizontal
polarization) wavelengths. The radar data indicate
that the major rainfall area corresponds to the deep
clouds to the right of the hurricane’s eye (Figure 2).
Compared to those in the cloud-free area near point B,
radiometric properties for the rainy areas show the
following features: high visible reflectivities, low
infrared brightness temperatures, high brightness

temperatures at 19GHz, and low brightness temper-
atures at 85GHz. Most of the areas covered by the
spiral cloud are actually not associated with rain,
although clouds in those areas have low infrared
brightness temperature and high visible reflectivity. It
is the microwave brightness temperatures that most
closely follow the radar-observed rainfall variation.
The radiative properties shown here are the funda-
mental basis for satellite remote sensing of precipita-
tion. They are explained theoretically below.

Visible Reflectivity

In the visible spectrum, reflectivity increases with cloud
optical depth, which is approximately proportional

Figure 1 Thermal infrared image of a hurricane over the south-

eastern Pacific Ocean observed by an infrared radiometer on the

Tropical Rainfall MeasuringMission satellite. The image covers an

area approximately 720 km wide by 3050 km long on 5 January

1998.
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to liquid water path (vertically integrated
liquid water) if the effective particle size remains
constant. Therefore, clouds with higher values
of liquid water path are more reflective. Generally,
these clouds are also more likely to be associated
with precipitation. This is the underlying principle
for sensing precipitation by visible reflectivity.
However, the sensitivity of visible reflectivity to
liquid water path decreases with the increase of
optical depth, and becomes virtually insensitive
when optical depth is larger than 100, a value
that a raining cloud easily exceeds. Consequently,
instead of sensing the entire vertical column, reflected
radiation at a visible wavelength reflects the micro-
physical properties only near the top portion of a
cloud. Therefore, the relation between the visible
reflectivity and rainfall rate at the surface is
rather indirect.

Infrared Brightness Temperature

Cloud droplets are very absorptive in the thermal
infrared spectrum. A consequence of this high absorp-
tion is that the cloud top may be viewed as the surface
of a blackbody having a temperature the same as the
air temperature at the level of the cloud top. Therefore,
infrared brightness temperature indicates cloud top
temperature. At least in the tropics, most rainfall is
associated with well-developed convective systems
that have tall cloud tops. Statistically, colder infrared
brightness temperatures often indicate higher rainfall
rates at the surface.However, shallow convectionwith
warm cloud tops does sometimes produce substantial
rainfall. On the other hand, nonprecipitating cirrus
clouds do not produce rainfall although they also have
cold cloud-top temperatures. Problems associated
with the infrared sensing of rainfall are more serious
in the midlatitudes where most precipitation is pro-
duced by frontal stratiform clouds, for which cloud
top temperature and precipitation are less correlated
than for deep tropical convection.

Microwave Brightness Temperature

Microwave radiation observed by satellite measures
the integrated radiative effects of the surface, atmos-
pheric gases, and hydrometeors. Microwave bright-
ness temperaturesmay either increase or decreasewith
increasing rainfall rate, depending on the frequency
and the cloud microphysical properties. To under-
stand the microwave signatures, consider an idealized
rain cloud that contains raindrops below the freezing
level and ice particles above. Although accurate
estimation of satellite-received radiation requires
solving a radiative transfer model including absorp-
tion and multiple scattering, the primary radiative
signature may be understood by examining the
approximation of eqn [1].

TB � Ts½1� e�2twð1� esÞ�e�ti ½1�
In eqn [1],TB is the brightness temperature received by
the satellite,Ts is the surface temperature, tw and ti are
the optical depths for the raindrops and ice particles,
respectively, and es is the surface emissivity. For
simplicity, emission from atmospheric gases is not
included in this equation although its contribution is
important, particularly near water vapor and oxygen
absorb frequencies (e.g., 22GHz and 60GHz). The
emissivities for land and water surface are roughly
1 and 0.5, respectively, for microwave frequencies
commonly used for precipitation retrievals. Consider
the following two situations:

Low-frequency (o20 GHz) microwave radiation If
the frequency is sufficiently low, scattering by ice
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particles aloft becomes negligible, i.e., ti � 0: Equa-
tion [1] then becomes eqn [2].

TB � Ts over land

TB � Ts½1� e�2twð1� esÞ� over ocean ½2�

It is seen that rainfall cannot be detected over land by
low-frequencymicrowaves because of the high surface
emissivity. Since ocean surface temperature and emis-
sivity generally do not vary dramatically, the small
spatial scale or short temporal scale variation of
brightness temperature in eqn [2] can be attributed to
the change in optical depth of raindrops, tw, which is
approximately proportional to integrated total rain-
water amount. Because total rainwater is closely
related to the surface rain, low-frequency microwave
brightness temperature over the ocean provides a
relatively direct representation of rainfall rate. This
positive correlation between rainfall rate and bright-
ness temperature is shown in Figure 2 for 19 GHz.
Because the increase of brightness temperature is due
to the emission by raindrops, the rainfall signature at
low microwave frequencies is called an emission
signature. Figure 3 depicts brightness temperatures
calculated by a radiative transfer model for nadir
viewing at 19GHz for various assumed freezing levels.
Brightness temperature increases with rainfall rate
until reaching a maximum that indicates the satura-
tion of microwave radiation. If rainfall rate further
increases beyond the saturation point, the brightness
temperature starts to decrease. The saturation prob-
lem prevents higher rainfall rates from being retrieved
using microwave emission signatures.

High-frequency (480GHz) microwave radiation
For high-frequency microwaves, scattering by ice

particles aloft is no longer negligible; rather it becomes
the dominant signature of the rain cloud. The optical
depth due to raindrops, tw, usually is so large at high
frequencies that e�2tw � 0. Equation [1] then becomes
eqn [3].

TB � Tse
�ti ½3�

Brightness temperature decreases with increasing
optical depth of ice particles. The low value of the
imaginary part of the ice dielectric constant deter-
mines that scattering is the dominant process for the
interaction between ice particles and microwave
radiation. Since the scattering cross-section is approx-
imately proportional to the sixth power of the particle
diameter, large and dense ice particles contribute
the most to ti. Therefore, lower brightness tempera-
tures at high microwave frequencies indicate more
large ice particles aloft, which is commonly an
indication of heavier rainfall rates at the surface.
This relationship is seen in Figure 2 for 85GHz
microwave observations. Since the decrease of
brightness temperature is caused by ice scattering,
the rainfall signature at high microwave frequencies
is called the scattering signature. Compared to the
microwave emission signature, the scattering
signature is a relatively indirect indication of surface
rainfall. In Figure 4, the model-simulated brightness
temperatures at 92GHz are shown for a 451 viewing
angle. The brightness temperature falls more
than 100K for rainfall rate increasing from 1 to
15mmh� 1 given a 1 km ice layer. Itmust be cautioned
that the magnitude of the brightness temperature
depression due to ice scattering depends greatly upon
ice particle size and density, for which there have not
been sufficient observations so far.

Sensing by Visible and Infrared
Measurements

Since visible reflectivity and infrared brightness tem-
perature are physically indirect indicators of surface
rainfall, satellite retrieval techniques based on visible
and infrared measurements are generally based on
regression. That is, surface rainfall data, measured by
rain gauges or radars, or both, are considered to be the
true values; co-located satellite-measured radiative
properties are regressed against true values to derive a
statistical expression relating surface rainfall to satel-
lite measurements. The true rainfall data are usually
available only for limited regions and periods. As a
result, most of these algorithms are subject to signif-
icant errors in regions where the climatological con-
ditions are different. In addition, because of
the statistical nature of these algorithms, retrieval
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accuracy generally increases with the increase of
averaging area and time.

Simple Regression

The notion that colder cloud tops usually correspond
to heavier rainfall leads to the most straightforward
approach: simply regressing rainfall rate against
infrared radiation. This type of approach has mostly
been done using broadband outgoing long-wave
radiation, instead of narrowband brightness temper-
ature within the atmospheric window (8–12mm).
Avariety of equations relating rainfall rate to outgoing
long-wave radiation have been derived. Nonlinear
functions are commonly used to account for
the nonlinearity of the relation between the two
parameters.

Area Time Integral Techniques

Studies of surface radar and rain gauge observations
have shown that the total volume of rain falling over a
sufficiently large area and for a long enough time
period can be well predicted by the so-called area time

integral ATI (eqn [4]).

ATI ¼
Z

AðX > XthÞ dt ½4�

where X is the measured radiative property,
AðX > XthÞ is the area with X exceeding a threshold
Xth, and the integration is over time t. The most
utilized, infrared algorithm that uses this principle is
the GOES Precipitation Index ðGPIÞ which gives the
rain total over an area of 2.51 latitude by 2.51
longitude and for a time period of Dt (eqn [5]).

GPI ¼ R0AðTBoTB0ÞDt ½5�
R0 ¼3mmh�1 and TB0 ¼235K are determined by
comparing satellite measurements with ground radar
observations over the tropical Atlantic Ocean. In
essence, eqn [5] states that only clouds with top
temperature colder than 235K produce rain and their
average rainfall rate is 3mmh�1. This algorithm
works reasonably well within the tropical belt of 301 S
to 301N for monthly rain total. Error increases
dramatically toward high latitudes, particularly dur-
ing cold seasons.

A number of other techniques have been similarly
developed, but take into account rain types and storm
development stages. It is well established that deep
convection more often produces heavy rainfall than
stratiform clouds. The most common technique for
determining cloud types relies on horizontal texture
information of satellite images, such as identifying a
local minimum in infrared brightness temperature
imagery as the convective center and the surrounding
relatively smooth portion as stratiform. If we divide
observations over an area into several types, the rain
total may be expressed by eqn [6], where Ri is the
average rainfall rate for type i, which covers an area
fraction of Ai and a time duration of Dti.

R ¼
X
i

RiAiDti ½6�

This method is known as the ‘cloud indexing’
technique.

Observations also show that for thunderstorms,
rainfall rate peaks while the cloud area is growing
rapidly, and rainfall is much reduced at the time of
maximum cloud area. In techniques that includes
cloud life history, a different average rainfall rate Ri

will be assigned for different development stages. This
method is known as the ‘life-history’ technique.

Bispectral Techniques

Infrared and visible measurements both have impor-
tant deficiencies in detecting rainfall. For example,
stratus clouds are highly reflective but do not rain as
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much, or as often, as cumulonimbus clouds. On the
other hand, cirrus cloud tops are cold but do not
produce rainfall. Bispectral techniques seek to com-
bine information from visible and infrared measure-
ments to obtain the optimal rainfall retrieval. In one
such method, two lookup tables are first generated
using coincident satellite and ground truth data. One
of the tables is the probability of rain, pi;j, determined
by the number ratio of raining cases to all cases in the
infrared brightness temperature bin i and visible
reflectivity bin j. Another table gives the mean rainfall
rate, ri;j, derived only from raining cases in the same
two-dimensional bin. The variationof rain probability
and mean rainfall rate in the reflectivity–brightness
temperature space is shown schematically in Figure 5.
For a given pixel whose brightness temperature falls in
the ith bin and reflectivity falls in the jth bin, rainfall
rate may be determined by eqn [7].

R ¼ pi;jri;j ½7�

Most bispectral methods attempt to retrieve instanta-
neous rainfall rate by constantly updating the lookup
tables using radar, rain gauge, or even satellite micro-
wave observations as truth. At least in theory, the
bispectral methods should be superior to infrared-
only or visible-only methods. However, this superior-
ity has not been convincingly demonstrated, partially
because visible data are only available for a fraction of
the day, and partially because many other uncertain-
ties still remain, such as the quality of truth data and
the co-location of satellite and surface data.

Sensing by Microwave Measurements

Owing to its physical directness,microwave sensing of
precipitation has drawn particular attention since the
late 1970s. Except for a few pure regression-type
algorithms, a characteristic of themicrowavemethods
is that they rely on radiative transfer models either at
the algorithm development stage or during the retri-
eval computation. Through a radiative transfermodel,
microwave brightness temperatures are directly con-
nected to the amount and distribution of precipitating
hydrometeors. The microwave algorithms may be
grouped into the categories of emission-based, scat-
tering-based, combined emission and scattering, and
radiative transfer model-based profiling techniques.

Emission-based Techniques

The emission signature provides the most direct
physical relation between rainfall and brightness
temperature. Data from frequencies under 20GHz
are primarily used for this type of algorithm, although
higher frequencies are sometimes included to mini-
mize atmospheric water vapor and/or surface effects.
The relation between brightness temperature and
rainfall rate may be derived from radiative transfer
model calculations by specifying atmospheric temper-
ature and humidity profiles, cloud liquid water con-
tent, rain-layer thickness, and size distribution of
raindrops. The most commonly used raindrop size
distribution is the so-called Marshall–Palmer distri-
bution, in which the number concentration decreases
exponentially with drop size. Rain-layer depthmay be
assumed to be the freezing level height, although the
validity of this assumption deserves further investiga-
tion. There are several problems associated with
emission-based algorithms. (1) They may only be
applied over ocean; the high land surface emissivity
prevents emission signatures from being detected by a
low-frequency microwave radiometer. (2) Brightness
temperature saturates for heavy rain. This problem is
particularly serious for tropical regionswhere the rain-
layer is deep. (3) Nonuniform rain rate across the
beam causes underestimation of rainfall rate. As
shown in Figure 3, the brightness temperature versus
rainfall rate relation is highly nonlinear. The spatial
resolution of a satellite pixel for microwave radiom-
eters is on the order of several tens of kilometers; the
rain field within one satellite pixel is generally inho-
mogeneous. If R ¼ RðTBÞ is the theoretical relation
between brightness temperatureTB and rainfall rateR
for a homogeneous rain field, the retrieval resulting
from the field-of-view-averaged brightness tempera-
ture, Rð�TTBÞ, does not equal the field-of-view-averaged
rainfall rate, RðTBÞ. Instead, in the case of microwave
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emission, it is always true thatRðTBÞoRðTBÞ, i.e., the
technique underestimates rain rate.

Scattering-based Techniques

The scattering signature is physically less directly
related to precipitation than the emission signature
because it is an indication of the ice amount above
freezing level. Frequencies higher than 80GHz are
primarily used for scattering-based algorithms. Algo-
rithms have been developed either based on statisti-
cally regressing brightness temperatures to surface
rainfall measurements or using results of radiative
transfer models. The advantage of scattering-based
algorithms is that they can be applied over both ocean
and land. However, this type of algorithm has greater
error for regions where warm rain has a significant
contribution.

Techniques Using Both Emission and Scattering

For rain associated with a shallow rain-layer, scatter-
ing-based techniques fail towork because of lack of ice
scattering. For heavy rainfall with deep rain-layers,
emission-based techniques cannot correctly determine
rainfall rate because brightness temperature saturates.
A better solution is to take advantage of both emission
and scattering signatures by combining them in a
single algorithm. One such algorithm uses a ‘micro-
wave index’ (MWI) defined for the Special Sensor
Microwave/Imager according to eqn [8].

MWI ¼ ð1�D=D0Þ þ 2ð1� PCT=PCT0Þ ½8�
Here D ¼ TB19V �TB19H, is the depolarization at
19GHz, and PCT ¼ 1:818TB85V � 0:818TB85H, is
the polarization-corrected brightness temperature at
85GHz. In brightness temperature TBnp, the subscript
n depicts frequency and the subscript p depicts
polarization (V for vertical and H for horizontal). D0

andPCT0 are the rain threshold values forD andPCT.
The first term in eqn [8] is the emission signature and
the second term is the scattering signature. BecauseD
decreases monotonically with the increase of rainfall
rate, it represents the emission signature better than
19GHz brightness temperatures themselves. Figure 6
depicts the 19GHz and 85GHz brightness tempera-
tures and the microwave index for a viewing angle of
531. The results are calculated from a radiative
transfer model assuming a typical tropical profile of
hydrometeors for deep convection agreed. The micro-
wave index relates to rainfall rate monotonically
without saturation. An alternativeway to combine the
two signatures is to use the emission signature until
brightness temperature at low frequency saturates,
then to use the scattering signature at higher rainfall
rates.

Radiative Transfer Model-based Techniques

If the surface emissivity and vertical distributions of
atmospheric temperature, humidity, and hydromete-
ors are known, brightness temperatures for any given
set of frequencies can be calculated with a radiative
transfer model. Inversely, if brightness temperatures
observed at several frequencies match well with those
calculated by a radiative transfer model, it will be very
likely that the profiles assumed in the model are the
same as those in the actual rain clouds. Radiative
transfer model-based techniques use this logic, and
generally consist of the following retrieval procedures.
First, a large database of vertical profiles of hydrome-
teors must be prepared. This database should include
all possible profiles that occur in nature. Because of the
lack of observational data, this database is usually
constructed with simulated results from numerical
cloud models. Radiative transfer model calculations
are performed using the hydrometeor profiles in the
database, which result in many sets of calculated
brightness temperatures. The set that best matches the
satellite-observed brightness temperatures is selected,
and the hydrometeor profile used to produce the best
match is determined to be the retrieval. The retrieval
gives not only rainfall rate at the surface but also its
vertical distribution.Model-based techniques have the
advantage of fully using physical relations between
cloud microphysics and microwave radiation. With
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more observational data becoming available in the
future to build the database of hydrometeor profiles,
this approach is expected to play a more significant
role in satellite remote sensing of precipitation.

There are two major problems with this technique.
First, the retrieval depends heavily on the preconstruct-
ed database, which, at present, relies on numerical
cloud models because observational data are insuffi-
cient. Any cloud model deficiency could directly affect
the quality of the rainfall retrieval. The second problem
arises from the ill-posed problem in finding the best
match between the observed and the calculated bright-
ness temperatures. The number of unknowns in the
retrieval problem (all components that interacts with
microwave radiation) is far greater than the informa-
tion content (number of independent information in
brightness temperatures). Several totally different hy-
drometeor profilesmay result in a similar ‘good’match,
causing nonuniqueness for the solution. This is usually
dealt with by averaging the hydrometeor profiles of the
closest brightness temperature matches.

Combination of Multichannel and
Multiplatform Observations

Currently, it is practical to putmicrowave radiometers
only on low-altitude, polar-orbiting satellites to ensure
useful spatial resolution. The frequency of observation
by a single satellite of a certain area on the Earth is
unacceptably low (1 to 2 times a day) for determining
rainfall accumulation. As a result, although micro-
wave techniques work better for instantaneous rain-
fall rate, they do not outperform visible/infrared
techniques on daily or monthly time scales, because
visible/infrared measurements are more frequent.
Therefore, combining measurements from multiple
wave bands and multiple platforms has been pro-
posed. One proposed approach is to increase the
number of satellites that carry microwave sensors, so
that local sampling frequency will be increased to an
acceptable level.With increasing international collabo-

ration, this proposal is expected to become reality in
the near future. The current solution has been to
combine visible, infrared, and microwave measure-
ments from available satellites. Visible/infrared meas-
urements have the advantage of ample coverage,while
microwave measurements have the advantage of
physical directness. The combined techniques use
microwave retrievals as truth to constantly train
visible/infrared algorithms, while the trained visible/
infrared algorithms are used to fill the gap left by
microwave measurements.

See also

Optics, Atmospheric: Optical Remote Sensing Instru-
ments. Radar: Incoherent Scatter Radar; Precipitation
Radar.
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Introduction

Just a few decades ago, almost all ocean wind
measurements came frommerchant ships. The quality

and geographical distribution of such reports are
however uneven. Today, many citizens believe that
operational numerical weather prediction (NWP) will
give us all the wind information we need, until a
hurricane suddenly intensifies and changes course, or
the unexpected delay of a monsoon brings drought, or
the Pacific trade wind collapses along the Equator
before an El Niño. When prediction fails and disaster
hits, then we remember that NWP depends on models
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that are limited by our knowledge of the physical
processes and the availability of data.

Sailors understand both the importance and the
difficulty in getting information on wind over oceans.
Textbooks still describe global ocean wind distribu-
tion in sailor’s terms: the calms of the doldrums and
horse latitudes, the steady trade winds, and the
ferocity of the roaring forties; these features are clearly
visible in Figure 1, which is derived from one day of
observations by a space-based scatterometer, Quik-
SCAT.

Wind is a vector quantity. Spaceborne microwave
scatterometers are the only proven instruments that
will give us measurements of both wind speed and
direction over ocean, under clear and cloudy condi-
tions, day andnight. Scatterometers provide not only a
near-synoptic global view, but also provide details not
possible usingNWPmodels. TyphoonPaul is observed
south of Japan, tropical depression Rachael is forming

south-east of Taiwan, and tropical depression Eugene
is visible as closed circulation in the eastern Pacific off
Central America – such coverage and resolution are
crucial to understanding and predicting the changes of
weather and climate.

The principles of scatterometry and scatterometer
missions are summarized in the next two sections.
After that, examples of the scientific impact of the
space-based scatterometer are given under ‘Major
Applications’. The primary functions of radar altim-
eter, synthetic aperture radar, and microwave radiom-
eter are not windmeasurement, but they provide wind
speed as a secondary product. Wind speeds are
important in their own right, and wind speed from
these sensors can be applied with directional informa-
tion derived from other means. The measuring capa-
bility of these sensors are described under ‘Wind Speed
Measurements’. A brief discussion of future missions
and technology then concludes the article.

Figure 1 Over the ocean, white streamlines indicating wind direction are superimposed on the color image of wind speed at 00Z for 6

August 1999, derived from objective interpolation. Typical average backscatter coefficients over land and Antarctica are also added. The

data are all based on observations by the scatterometer QuikSCAT.
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Principles of Scatterometry

During the SecondWorldWar,marine radar operators
observed disturbances on their radar screens that
obscured small boats and low-flying aircraft. They
termed this noise ‘sea clutter’; it was the backscatter of
the radar pulses by small waves on the ocean’s surface.
Not until some decades later did this backscatter come
to have important applications.

The scatterometer sends microwave pulses to the
earth’s surface and measures the power backscattered
from the surface roughness. Over land, the roughness
may describe the characteristics of polar ice or
vegetation. Over the ocean, which covers over three-
quarters of the earth’s surface, the backscatter is due
largely to the small waves a few centimeters high on
the surface. The idea of the remote sensing of
ocean surface winds was based on the belief that
these surface ripples are in equilibrium with the
local wind stress. At incident angles greater than 201,
the radar return is governed by Bragg scattering,
and the backscatter increases with wind speed. The
backscatter is governed by the in-phase reflections
from surface waves. For a smooth surface, the
radar receives no return when viewing is at an
angle. But as the surface roughness increases, back-
scatter occurs as scattering from periodic structures in
the surface roughness constructively interferes. The
backscatter depends not only on the magnitude of the
wind stress but also on the wind direction relative to
the direction of the radar beam (the azimuth angle).
The capability of measuring both wind speed and
direction is the major unique characteristic of the
scatterometer.

Because the backscatter is symmetric about the
mean wind direction, observations at many azimuth
angles are needed to resolve the directional ambiguity.
A scatterometer that measures only at two orthogonal
azimuth angles, such as Seasat (see next section), will
always include wind solutions of nearly equal magni-
tude and 1801 apart. Because of uncertainties in the
wind retrieval algorithm and the noise in the back-
scatter measurements, the problem with directional
ambiguity was not entirely eliminated with additional
azimuthal looks in the scatterometers launched after
Seasat. A median filter iteration technique initialized
by the wind direction solution closest to the NWP
wind field has been commonly used to remove the
directional ambiguity.

There is a long history of theoretical studies of the
relationship between wind and backscatter, based on
laboratory data. However, these theoretical or dy-
namic-based relationships were not sufficient for
operational wind retrieval in open oceans. The
geophysicalmodel function, fromwhich ocean surface

wind vectors are retrieved from the observed back-
scatter, is based largely on empirical fits of data.

Because the capillary waves, which determine
backscatter, are governed by stress, an approach has
been developed whereby the backscatter observations
are related directly to measurements of surface stress.
The definition of the geophysical data product of
scatterometer as the equivalent neutral wind is based
on the same reasoning. The backscatter has also been
related to the pressure gradient or to geostrophic
winds, which may be more coherent over the scat-
terometer footprint than surface winds.

While wind is the primary factor in the changes of
backscatter measured by a scatterometer, other sec-
ondary factors – such as sea surface temperature (SST),
rain, surface film, atmospheric stability, sea state, and
surface currentFmay also affect scatterometer meas-
urement, andmay cause errors in wind retrieval. With
the increasing accuracy of scatterometer wind meas-
urement, understanding and quantifying such effects
are becoming increasingly important andhave become
scientific fields in their own right.

Scatterometer Missions

Historically, scatterometers of the European Space
Agency (ESA) used the C-band (5GHz), but the
National Aeronautics and Space Administration
(NASA) prefers the Ku-band (14GHz). A higher
frequency is more sensitive to shorter surface
waves. The Ku-band is more sensitive to wind
variation at low winds, but is more subjective to
atmospheric effects and rain contamination. Five
scatterometers have been launched on polar orbiting
satellites, and their major characteristics are summa-
rized in Figure 2.

NASA launched a scatterometer on the Seasat
Mission in June 1978. Four fan-beam, dual-polarized
antennas, oriented at 451 and 1351 to the spacecraft
subtrack, illuminated two 500 km swaths, one on each
side of the spacecraft, providingwind vectors at 50 km
resolution. However, only one side was in operation
most of the time, covering less than 40% of the global
ocean daily. The incident angle varied from 251 to 551.
The accuracy of the backscatter was about 0.7 db. The
two orthogonal azimuth angles were not able to
resolve the wind direction unambiguously. Seasat
failed in October 1978.

A scatterometer was launched by ESA on the first
European Remote Sensing (ERS-1) satellite in August,
1991, and it was followed by an identical instrument
on the ERS-2, launched in April 1995 and put into
operation in 1996. The ERS scatterometers scan a
500 km swath on one side of the satellite, and mea-
sure at three azimuth angles, 451, 901, and 1151, with
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vertical polarization only. They provided winds over
only 41%of the global ocean daily. The incident angle
varies from 241 to 571 for the fore and aft beams and
from 181 to 471 for the mid beam. The backscatters
have 50 km spatial resolution but are sampled at
25 km.

TheNASAScatterometer (NSCAT)was launched in
August 1996 on the first Japanese Advanced Earth
Observing Satellite (ADEOS), later renamed Midori.
The six fan-beam antennas provide 600 km swaths on
both sides of the spacecraft, covering 77% of the
global ocean at 25 km resolution daily. The accuracy
of backscatter is 0.2 db. The antennas made observa-
tions at 451, 1151, and 1351 azimuth angles. The fore
and aft beams measure only at vertical polarization,
with incident angle varies from 221 to 631, while the
midbeam measures at both vertical and horizontal
polarization, with incident angle varying from 181 to
511. The unexpected destruction of the solar array
caused the early demise of NSCAT, after it had
returned 9 months of data.

NASA launched QuikSCAT, a Ku-band scattero-
meter with a new design, in 1999. It uses pencil-beam
antennas in a conical scan and has a continuous
1800 km swath that covers 93%of the global ocean in
a single day. The standard wind product has 25 km
spatial resolution, but special products with 12.5 km
resolution have been produced for selected regions. It

measures horizontally and vertically polarized back-
scatter at incident angles of 461 and 541 respectively.

Major Applications

One of the basic applications of scatterometer wind
measurement is in predicting weather. Although the
ERS-1 scatterometer was launched in 1991, the data
were not assimilated operationally into NWP until
1994. All major weather forecast centers in Europe,
Japan, and the USA implemented the assimilation of
ERS scatterometer winds between 1994 and 1997.
NSCAThad only a short life span; the spacecraft failed
before any NWP center could set up the system to
assimilate its data. A recent comprehensive impact
study of NSCAT revealed an approximately 1-day
extension of useful forecast skill in the Southern
Hemisphere. The impact of assimilation of NSCAT
data to regional weather forecast has also been
demonstrated. The European Center for Medium
Range Weather Forecasting (ECMWF) in the United
Kingdom and the National Center of Environmental
Prediction in the United States began operational
assimilation of the QuikSCAT data in January 2002.
ECMWF reported a robust improvement in its fore-
casts of atmospheric conditions over the South-
ern Hemisphere and in the upper atmosphere after

Seasat ERS−1/2 QuikSCATNSCAT

V-H, V-H V ONLY V, V-H, V V, HPolarization
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Figure 2 Characteristics of spaceborne scatterometers.
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assimilating these data. Its ability to forecast the tracks
of tropical cyclones is also enhanced.

Besides the potential use in four-dimensional assim-
ilation by operational NWP, scatterometer data have
been widely used by marine weather and hurricane
centers in analyzing and predictingmarine storms. For
most of the Atlantic hurricanes in 1999, closed
circulations with intensity meeting the criteria of a
tropical depressionwere observed byQuikSCATup to
a few days before their identifications by the National
Hurricane Center. QuikSCAT data were used to track
the surface vortex of hurricane Floyd all the way back
to the African coast five days before it was identified as
a tropical depression east of the West Indies. Such
vortices in their early stages are too small to be
resolved by operational NWP products, and their
convection not strong enough to produce organized
cloud signals. Hence the scatterometer, with its high
spatial resolution, is the bestmeans to study these early
vortices, their tracks across the Atlantic, and their
evolution into full-blown hurricanes.

Oceanographers, who were in great need of infor-
mation on wind forcing of ocean circulation, were the
first group to support space-based scatterometer
missions. One of the applications is to use scattero-
meterwinds to force ocean general circulationmodels.
Many studies show thatwinds from scatterometers are
superior in forcing more realistic oceanic responses in
the models than NWP winds.

Since scatterometer winds have become continu-
ously available, they have been used in studies of
seasonal phenomena like the monsoons and interan-
nual signals like El Niño. A monsoon is the seasonal
change of wind forced by the temperature contrast
between the continent and the ocean. Scatterometer
winds have been used to study oceanic responses to the
changes of monsoons in the South China Sea, the
Arabian Sea, and the Atlantic Ocean. They have been
used to study the influence of moisture advection on
continental precipitation in China, Africa, and South
America.

El Niño SouthernOscillation (ENSO), the strongest
interannual climatic signal, is believed to be associated
with the collapse of the Pacific trade winds near the
Equator. Scatterometers have revealed, with unprec-
edented resolution, the evolution of the tropical wind
systems associated with ENSO. Model initialization
with scatterometerwinds have been shown to improve
ElNiño forecasts. Scatterometerwinds have been used
to link the ocean warming in the equatorial Pacific
during an El Niño to the intraseasonal wind surge in
the Western Pacific and the modification of decadal
phenomena in the North Pacific.

The high resolution of scatterometer data allows
studies of small coastal jets and eddies and derivative

parameters, suchasatmospheric convergence. Scattero-
meter winds were used to study ocean response to the
wind jets coming out of the mountain gaps near
Vladivostok and inCentral America. For the first time,
the cyclonic circulation of the small Catalina Eddy,
which brings the ocean-cooling effect to Los Angeles,
was visualized by scatterometer winds. A convergence
zone south of the Equator, running east from Brazil, is
also revealed unambiguously for the first time with
scatterometer data. Besides the strong tropical con-
vergence zones driven by deep convection, scattero-
meters also help to identify weak convergence zones
caused by different mechanisms.

The broad coverage reveals new phenomena in
data-poor tropical and southern oceans. By combining
observations of QuikSCAT and Tropical Rain Meas-
uring Mission (TRMM) a narrow break in the
westwardTradewinds andNorth Equatorial Currents
systemwas found, stretching over 2000miles from the
Hawaii Islands to the Western Pacific. This break
consists of eastward current, warmwater, atmospheric
convergence, and positive curl of wind stress; the
system was revealed as a whole for the first time. The
system is postulated to be triggered by the Hawaii
Islands but sustained by positive ocean–atmosphere
feedback. The use of QuikSCAT and TRMM enabled
the study of the coherent and in-phase propagation of
sea surface temperature andwindvectors in the tropical
instability waves in the eastern equatorial Pacific.

Measurements from merchant ships and weather
stations are extremely sparse in the hostile environ-
ment around Antarctica, where strong winds circulate
around the globe over open oceans. Scatterometer
data have been used to study wind forcing of the
circumpolar current. Scatterometers are also capable
of monitoring both the Antarctic sea ice extent (SIE)
and the wind field over adjacent oceans at the same
time, making it possible to characterize the joint
variabilities of both wind and ice. Scatterometers
observe a wavenumber-3 pattern in the wind, which
coincides with three SIE maxima. The wind and ice
patterns move eastward together during the winter
season. The SIE maxima also provide favorable
conditions for storm generation over the ocean, which
has interannual variabilites linked to ENSO.

Wind shear facilitates the turbulent transfer of heat,
moisture, and greenhouse gases between the ocean and
the atmosphere. The transport is parameterized most-
ly in terms of wind speed, but there are suggestions
that, in additional to wind speed, the backscatter
measured by the scatterometers contains information
on secondary factors (e.g., small-scale wave fields)
affecting ocean–atmosphere gas transfer. The unique
contribution of the scatterometer in ocean–atmos-
phere exchanges is likely to be in estimating the
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transport terms in the conservation equation, whether
it is the curl of wind stress in oceanic biological
pumping or the atmospheric moisture advection in the
atmospheric hydrologic balance.

Wind Speed Measurements

Both the microwave altimeter and the synthetic
aperture radar (SAR) are similar to the scatterometer,
in the sense that all three are active sensors that send
microwave pulses to the Earth’s surface and measure
the backscattered power. The altimeters are designed
to measure the dynamic topography of the ocean.
While the scatterometer views at oblique angles, the
altimeters view at nadir (very small incident angles).
At nadir, the backscattered energy is a result of
specular reflection (the wavelets serve as small mir-
rors), and the backscatter is not sensitive to wind
direction. Because the instrument is not scanning, data
are available only at a very narrow repeated ground
tracks. The coverages of all the past altimeters are poor
compared with the scatterometer and the microwave
radiometers. Altimeters were flown on the Seasat and
ERS spacecraft described above. Geosat, which was in
operation between 1985 and 1989, and Topex-Posei-
don, launched in 1992, are two missions dedicated to
the altimeter.

The same model function used to retrieve winds
from scatterometer can be used for SAR. However, an
SAR looks perpendicular to aircraft path only at one
azimuth angle, and cannot resolvewind direction. The
main objective of SAR is to provide high-resolution
imaging of the Earth’s surface. SAR has spatial
resolutions much better than those of scatterometers,
but the high resolution also introduces higher uncer-
tainties in accuracy caused by secondary effects that
affect surface roughness. The instrument and the data
processing procedure are much more complicated
thanwith the scatterometer and there have been severe
calibration problems. Both the SARon Seasat andERS
have spatial resolution of 30m and a swath width of
100 km. The narrow swath width and the sporadic
operation prevent global monitoring of ocean surface
wind. Radarsat-1, launched in 1995, can operate in
the scanning mode with a spatial resolution of 100m
and a 500 kmwide swath; this instrument is the closest
to providing continuous global coverage.

Ocean surface wind speed can also be derived from
the radiance observed by microwave radiometer. It is
generally believed that wind speed affects the meas-
ured radiance indirectly through the generation of
ocean waves and foam and the change of the surface
emissivity. Radiometers designed to observe the ocean
surface operate primarily at window frequencies,

where atmospheric absorption is low. To correct for
the slight interference by tropospheric water vapor,
clouds, and rainfall, and, to some extent, the effect of
sea surface temperature, radiances at frequencies
sensitive to sea surface temperature, atmospheric
water vapor, and liquid water are also measured.

Microwave radiometry has a much longer history
than the active microwave sensors. Ocean surface
wind speeds were derived from the Scanning Multi-
channel Microwave Radiometer (SMMR) on Seasat
andNimbus-7, whichwere launched in 1978. Amajor
improvement in wind speed availability was made by
the Special Sensor Microwave/Imager (SSM/I), the
first of which was launched in 1987 on the spacecraft
Defense Meteorological Satellite Program (DMSP).
Several DMSP satellites with SSM/I on board have
been in orbit at the same time, providing continuous,
global coverage since July 1987.

Future Missions and Technology

Quikscat will be followed by an identical scatterome-
ter on ADEOS-2 scheduled to be launched in Novem-
ber 2002. If there is sufficient overlap between the
operations of the two identical scatterometers, the
importance of high frequency and high-wave-number
wind forcing on the ocean can be demonstrated. ESA is
scheduled to launch a series of C-band dual-swath
advanced scatterometers (ASCAT) on its operational
platform METOP, starting in December 2005. NASA
is planning to launch a scatterometer on the Japanese
Global Change Observation Mission (GCOM), so
that two wide-swath scatterometers will provide
continuous time series of high-frequencywind forcing.

Conventional microwave radiometer measures sur-
face radiances at horizonal and vertical polarizations,
which independently do not give wind direction.
Preliminary studies indicate that measurement of the
coherence between vertically and horizontally polar-
ized radiances will provide directional information on
surface winds. The Naval Research Laboratory is
scheduled to launch the Windsat mission to test the
capability of a polarimetric microwave radiometer in
measuring ocean surface wind vectors in 2003.

One of the drawbacks to scatterometry is the wind
direction ambiguity. The backscatter is a cosine
function of the azimuth angle. In a recent experiment,
it was demonstrated that the correlation between
copolarized and cross-polarized backscatter is a sine
function of azimuth angle. By adding a receiver of
cross-polarized backscatter to the scatterometers (like
QuikSCAT), the directional ambiguity problem can be
mitigated. A polarized scatterometer has been pro-
posed for GCOM.
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Introduction

Temperature plays a key role in radiative, dynamical,
and chemical processes in the atmosphere.
However, compared with most other parameters,
atmospheric temperature has a relatively low
variability: typically �20K, or about �10% of the
absolute value, at any altitude (Figure 1). This
low variability imposes correspondingly tight
constraints on the useful accuracy of any measure-
ments. Nevertheless, remote sounding has now devel-
oped to the point where temperature can be retrieved
with accuracies of 2K or better, comparable with the
quality of measurements made in situ with radio-
sondes. The main impetus for this development has
come from the meteorological community: although
radiosondes provide good coverage over populated
land areas, accurate weather forecasting requires
global temperature fields, which can only be obtained
from satellites.

‘Operational’ temperature sounders have been
flown on the NOAA series of polar orbiting
satellites since 1972. These are nadir viewing
instruments, measuring emission in the infrared
and microwave regions of the spectrum. By selecting
channels sensitive to emissions from different
depths into the atmosphere, the vertical temperature
structure can be determined. Nowadays, the more
sophisticated forecast models assimilate directly
the satellite radiance measurements themselves,

bypassing the need for any explicit temperature profile
retrieval.

Temperature can also be retrieved using emission
measurements from the atmospheric limb, i.e., view-
ing the atmosphere tangentially rather than vertically.
Limb sounding allows temperature to be retrieved to
higher altitudes and with improved vertical resolution
compared with nadir sounding, but at the expense of
reduced horizontal resolution and signal-to-noise
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ratio. A third possibility for temperature sounding is
solar occultation: viewing the Sun as it rises or sets
beyond the atmospheric limb and determining
temperature through its effect on the atmospheric
absorption.

Such measurements all rely on modeling molecular
absorption spectra, which largely determine radiative
transfer at infrared and microwave wavelengths.
However, since temperature and density are linked
via the hydrostatic equation, the temperature profile
may also be inferred from measurements which are
more directly related to the atmospheric density
profile, such as scattering in visible and UV wave-
lengths, or refraction at radio frequencies. Molecular
(Rayleigh) scattering is routinely used to determine
atmospheric temperature from ground-based lidars,
and atmospheric composition from space, but has had
only limited application in temperature sounding from
space. Radio occultation techniques for determining
density via refraction were originally developed for
sounding the atmospheres of other planets, but the
introduction of the GPS network of navigational
satellites offers a new possibility for routine temper-
ature sounding of the Earth’s atmosphere.

Physical Mechanisms

Atmospheric temperature and density affect electro-
magnetic radiation through absorption, emission,
refraction and scattering. All of these mechanisms
can be exploited in order to retrieve temperature using
remote sensing techniques.

Thermal Radiation

Most techniques for temperature sounding rely on
measurements of thermally emitted radiation in either
the infrared or the microwave region of the spectrum.
The monochromatic radiance, I, from a line of sight
through a non-scattering atmosphere in local thermo-
dynamic equilibrium can be represented by

I ¼
Z 0

1
B
dt
ds

dsþ I1t1 ½1�

where B is the Planck function, t the transmittance
from space to a point at distance s along the path, t1
represents the attenuation of any emission source I1
beyond the atmosphere. The atmospheric contribu-
tion to this radiance is therefore a spatially weighted
average of the Planck function along the path, dt=ds
being the ‘weighting function’. Since B is a known
function of temperature and wavelength, determining
BðTðsÞÞ from the above relationship is equivalent to
retrieving the temperature profile.However, to use eqn
[1] it is also necessary to know the transmittance tðsÞ

along the path, conveniently expressed in terms of an
optical thickness w:

t ¼ exp ð�wÞ ½2�

w ¼
Z s

0

vsr ds ½3�

where v is the absorber volume mixing ratio, r the
(molar) air density, and s the absorption coefficient.

At thermal wavelengths, s is a function of the
concentrations of various absorbing species, pressure
and temperature. Composition v can be eliminated as
an unknown by selecting spectral regions where the
absorption is primarily from a well-mixed species,
usually the 15mm or 4:3 mm CO2 bands in the infra-
red, or the 60GHzO2 band in the microwave.
Pressure is either implicit in the retrieval coordinates
(nadir sounding) or retrieved simultaneously with
temperature (limb sounding).

Planck Function

The Planck function (Figure 2) is given by:

B ¼ 2hc2

l5ðexp ðhc=lkTÞ � 1Þ ½4�

where h is Planck’s constant, c the speed of light,
k Boltzmann’s constant, l the wavelength, and T
the temperature. This has a maximum at lmax ¼
2:9�10�3=Tm (Wien’s displacement law), which for
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typical atmospheric temperatures lies between
10–15 mm. The curve falls off as 1=l5 at longer
wavelengths, and as exp ð�hc=lkTÞ at shorter wave-
lengths. The rapid decay at short wavelengths means
that thermal emission is negligible below a few
micrometers and, in any case, below 4 mm scattered
or reflected solar radiation becomes significant during
daytime.

The accuracy of a temperature retrieval depends not
only on the radiance signal-to-noise ratio (SNR) but
also on the sensitivity of radiance to temperature,
dB=dT, which reduces with increasing wavelength. At
10mm; B � T6 but in the microwave region
(1–10mm wavelengths) B / T (in fact, ‘radiance’
and ‘temperature’ are often used interchangeably in
referring to microwave measurements). For a given
SNR, this means that temperature can be retrieved
more accurately at shorter wavelengths. Conversely,
this also means that at shorter wavelengths retrievals
of other species are more sensitive to any given
temperature error. For example, a number of constit-
uents ðH2O;CH4;N2O;NO2Þ are often retrieved
using bands in the 6–8mm region. At these wave-
lengths, a 1K temperature overestimate results in a 4%
increase in predicted radiance, and therefore a roughly
equivalent underestimate in retrieved concentrations.
Hence the need for accurate temperature retrievals for
all remote sensing experiments based on infrared
emission.

Molecular Absorption

The molecules of many atmospheric species exhibit
absorption bands at infraredwavelengths correspond-
ing to transitions between quantized vibrational
energy levels (molecules of nitrogen and oxygen
being notable exceptions, having no permanent dipole
moment). Superimposed on these vibrational states
are rotational states which have a finer quantization.
Changes in vibrational level are often accompanied by
changes in the rotational quantumnumber J, giving the
typical band structure shown in Figure 3. The central
peak (Q-branch) corresponds to a pure vibrational
transition ðDJ ¼ 0Þ, and the envelope of lines at lower
(P-branch) and higher (R-branch) wavenumbers cor-
respond to DJ ¼ �1, the spread in these envelopes
reflecting the rotational energy dependence ER �
JðJ þ 1Þ. Pure rotational transitions also occur, leading
to absorption features in the microwave spectrum
(Figure 4).

The overall strength of a particular absorption band
is determined by the population of the two vibrational
levels involved. In local thermodynamic equilibrium,
populations of each vibrational energy level EV

follow the Boltzmann distribution � expðEV=kTÞ.

For T ¼ 240K; kT � EV ð167 cm�1, compared with
�1000 cm�1), so usually only ‘fundamental’ transi-
tions between the ground state and the first excited
level are significant.

The shape of an absorption band, given by the
envelope encompassing theP andRbranches, depends
on the population distribution over the rotational
energy levels ER. This also follows Boltzmann statis-
tics, but here kT � ER. The additional degeneracy
factor ðJ þ 1Þ, representing the increased number
of states available at higher rotational quantum
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numbers, ensures that the most probable rotational
quantumnumber is not J ¼ 0but some higher number,
and increases with increasing temperature (indicated
by the outward displacement of the peaks of the P- and
R-branches in Figure 3).

As well as the line strength and the shape of bands,
the temperature–pressure profile also affects thewidth
of individual lines through Doppler broadening (high
altitudes) and pressure broadening (low altitudes,
Figure 4).

The above assumes ‘local thermodynamic equilib-
rium’ (LTE), i.e., that the populations of the vibra-
tional and rotational energy levels are characterized by
the same temperature as the mean kinetic energy. In
practice, this means that collisions between molecules
occur sufficiently frequently to ensure that the internal
energy levels are redistributed according to the local
kinetic temperature. At high altitudes, other processes
may dominate, leading to non-thermal population
distributions of the vibrational states (so called ‘non-
LTE’ effects). These often limit the upper altitude of
practical infrared retrieval schemes. Non-LTE effects
are usually negligible in the microwave region, owing
to the small energy difference between rotational
levels; instead,when sounding themid-stratosphere or
higher altitudes, complications are introduced by
having to model the Zeeman splitting of lines in the
Earth’s magnetic field.

Hydrostatic Equation

Inmost situations, the profiles of atmospheric pressure
p, molar density r, and temperature T can be assumed
to be in hydrostatic balance:

dp ¼ �gMrdz ½5�

dp

p
¼ � gM

RT
dz ½6�

where g is the gravitational acceleration,M the molar
weight of air, R the gas constant, and z the altitude.

In addition to retrieving temperature, it is usually
necessary to know the pressure in order to evaluate
terms in eqn [3], although absolute altitude is not
critical. If TðpÞ is retrieved directly (e.g., nadir
sounding) then this is no problem and eqn [6] can be
integrated to obtain layer thicknesses Dz. If pðzÞ is
retrieved (e.g., microwave limb sounding) then eqn [6]
can be used to obtain temperature. If TðzÞ is retrieved
(e.g., infrared limb sounding) it is necessary also to
retrieve pressure at least at one altitude, pðzrefÞ, and
obtain pðzÞ by integrating eqn [6]. If rðzÞ is retrieved
(e.g., occultation) it may be adequate to assume some
climatological pressure at high altitude and integrate
eqn [5] downwards to obtain pðzÞ, hence TðzÞ, with

any error dp in the climatological assumption decreas-
ing in significance further down the profile.

Refraction

The speed of electromagnetic radiation is reduced in
air owing to the polarizability of air molecules. The
refractive index n is conveniently expressed in terms of
a refractivity N ¼ n� 1, which is usually assumed to
be proportional to air density. For dry air at 15	C and
standard pressure, Edlén’s dispersion relation models
the wavelength dependence of refractivity from 0.2 to
2 mm (Figure 5):

N�106 ¼ 64:328þ 29498:1

146� m�2
þ 255:4

41� m�2
½7�

where m is the wavelength expressed in mm. For
wavelengths longer than 1mm, refractivity is essen-
tially independent of wavelength. However, at radio
frequencies ðo20GHzÞ the dipole moment of water
vapor has a significant effect which can bemodeled as:

N�106 ¼ 77:6
ðp� eÞ

T
þ 3:73�105

e

T2
½8�

wherep; e are the total pressure and partial pressure of
water vapor in hectopascals and T is the temperature
in kelvins. At 15	C and standard pressure, this gives
values of refractivity varying from N ¼ 2:7�10�4 for
dry air toN ¼ 3:4�10�4 for saturated air (1.6%water
vapor by volume).

Refraction introduces a curvature into limb paths,
lowering the tangent point and increasing the path-
integrated air mass compared with the straight-line
path. For a circularly symmetric atmosphere it can be
shown that the tangent height correction is

dz ’ Na ½9�
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where a is the radius of the Earth. For a tangent height
of 25 km; dz ’ 70m for infrared wavelengths, equiv-
alent to a 1% increase in the tangent point pressure and
a similar increase in integrated air mass. Since the
effect is proportional to density ð/ NÞ it doubles for
every �5 km decrease in tangent height.

Scattering

For visible and shorter wavelengths, ‘Rayleigh’ scat-
tering by air molecules becomes significant. The
Rayleigh scattering cross-section sRa ðm2 mole�1; cf.
s in eqn [3]) can be computed theoretically:

sRa ¼ 32p3

3NAr2l
4
N2 ½10�

where NA is Avogadro’s number. Since refractivity
N / r, the scattering cross-section per mole of air
depends only on wavelength, predominantly through
the 1=l4 term (Figure 5).

For optically thin paths, single-scattering can be
assumed so that measurements of extinction or scat-
tered radiation can be simply related to the air density.
However, this assumption breaks down at higher
pressures, when multiple scattering and/or Mie scat-
tering (by particles of radius comparable to the
wavelength, e.g., aerosols) have to be considered.

Nadir Sounding

The earliest satellite temperature sounders viewed
downwards, measuring the radiance emerging from
the top of the atmosphere in a range of spectral bands.
The different transmission characteristics of each
band can be used to derive information on tempera-
ture fromdifferent optical depths into the atmosphere.
This is the basis of the operational temperature
sounders used today.

Weighting Functions

Adapting eqn [1], the radiance I emerging from the top
of the atmosphere above a non-reflective surface is
given by:

I ¼ B0t0 þ
Z 1

0

B
dt
dZ

dZ ½11�

whereZ ¼ � ln ðp=p0Þ is a height-like coordinate, and
subscripts 0 indicate surface values. For nadir viewing,
it is convenient to use a pressure-based coordinate
such as Z, since the transmittance, and therefore
weighting functions, are themselves mostly pressure-
dependent.

Using the hydrostatic equation (eqn [5]) to adapt
eqn [3] to pressure coordinates, the optical depth w

from space to pressure level p for a well-mixed
absorber with volume mixing ratio v and constant
absorption coefficient s is given by:

w ¼
Z 0

p

vs
g

dp ¼ ap ½12�

where a ¼ vs=g is a constant. The weighting function
is then given by

dt
dZ

¼ �p
dt
dp

¼ ap expð�apÞ ½13�

It can be shown that this has a maximum where the
optical depth w ¼ ap ¼ 1, and a width at half maxi-
mum of DZ ’ 2:5 scale heights ð�15 kmÞ.

By suitable placement of filters within the band it is
possible to select weighting functions peaking at
different pressures (Figures 6 and 7).

Vertical Resolution

From eqn [13] and Figure 7, it can be seen that the
width of nadir sounding weighting functions is com-
parable to the thickness of the entire troposphere. The
weighting function width does not fundamentally
limit the vertical resolution of the retrieval, but the
large overlap means that in order to retrieve a profile
at, say, seven levels corresponding to the weighting
function peaks, most of the information will come
from the difference between radiancemeasurements in
adjacent channels rather than from the absolute
values, hence reducing the effective SNR.
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To produce narrower weighting functions requires
finding spectral regions where the optical depth w
increases more rapidly with pressure than w / p (eqn
[12]). One method is to select spectral regions where
emission is predominantly from the wings of pressure-
broadened lines (giving s / p, hence w / p2). Another

method is to target emission from a gas whose
concentration increases with pressure, such as tropo-
spheric water vapor. Since the absorber is no longer
well mixed, additional channels are required in order
to retrieve its concentration, and the weighting func-
tion peaks are no longer at fixed pressures.

A different method of improving the vertical reso-
lution is to scan at an angle y to nadir, increasing the
optical path to approximately w ¼ ap sec y, reducing
both the peak pressure and width by a factor cos y.
Taken to its extreme, this is, of course, the basis of limb
sounding. Scanning to �50	 across the orbit track is
commonly employed for nadir sounders, but this is
done in order to cover the atmosphere between
adjacent orbit tracks, and a ‘correction’ applied in
order to remove the resulting variation of the weight-
ing functions.

Nadir Sounding Instruments

Table 1 lists nadir viewing instruments that have been
used for temperature sounding. The first such instru-
ments were infrared filter radiometers targeting vari-
ous parts of the CO2 15 mm band, a simple technique
still in use on operational satellites (Figure 6). How-
ever, such filters are limited to a minimum width of
several wavenumbers, which does not allow much
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Table 1 Satellite nadir sounding temperature sensors

Launch Satellite Instrument Technique a

1969, 1970 Nimbus 3, 4 SIRS Satellite Infrared Spectrometer FR

IRIS Infrared Interferometer Spectrometer MI

1970, 1972 Nimbus 4, 5 SCR Selective Chopper Radiometer GC

1972–1976 NOAA 2–5 VTPR bVertical Temperature Profile Radiometer FR

1972 Nimbus 5 ITPR Infrared Temperature Profile Radiometer FR

NEMS Nimbus E Microwave Spectrometer MW

1975 Nimbus 6 HIRS High Resolution Infrared Radiation Sounder FR

PMR Pressure Modulated Radiometer GC

SCAMS Scanning Microwave Spectrometer MW

1974–1994 NOAA 6–14 TOVS bTIROS Operational Vertical Sounder, comprising:

HIRS/2 High Resolution Infrared Radiation Sounder/2 FR

SSU Stratospheric Sounding Unit GC

MSU Microwave Sounding Unit MW

1977– DMSP SSM/T Special Sensor Microwave/Temperature MW

1980–1996 GOES 4–7 VAS VISSR Atmospheric Sounder FR

1994– GOES 8– (sounders with similar channels to HIRS) FR

1998– NOAA 15– ATOVS bAdvanced TOVS comprising:

HIRS/3 High Resolution Infrared Radiation Sounder/3 FR

AMSU Advanced Microwave Sounding Unit MW

2001 Aqua AIRS Atmospheric Infrared Sounder GS

2003 Aura TES cTropospheric Emission Spectrometer MI

2005 Metop IASI Infrared Atmospheric Sounding Interferometer MI

ATOVS (as above) FR/MW

aFR5 filter radiometer, MI5Michelson interferometer, GC5 gas correlation radiometer, MW5microwave radiometer, GS5grating

spectrometer.
bSee also Table 2.
cSee also Table 3.
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scope for improving vertical resolution or extending
coverage to higher altitudes.

More recently, instruments have been developed to
measure the full infrared spectrum at high resolution:
1 cm�1 for AIRS (grating spectrometer), 0:25 cm�1 for
IASI (interferometer), 0:1 cm�1 for TES (interferom-
eter, in nadir-viewing mode). The increased spectral
resolution, togetherwith the large number of potential
channels represented by the complete spectrum,
allows combined temperature–water-vapor retrievals
to be performed under a variety of atmospheric
conditions, hence improved (tropospheric) vertical
resolution.

Figure 6 suggests that 4mb is about the highest level
that can be sounded using the 15 mmbandwith 1 cm�1

resolution. However, Figure 8 demonstrates that
emissions can be detected from higher levels, but in
order to discriminate these it is necessary to resolve
individual lines. Doppler-broadened line widths at the
stratopause are of the order of 0:001 cm�1, well
beyond the resolution obtainable using spaceborne
interferometry, and even were such a resolution
attainable the reduced photon flux from such a narrow
bandwidth would lead to SNR problems.

Gas correlation radiometry is one technique which
has been used to extend the altitude range of infrared
nadir sounding. By passing the signal through a
pressure-modulated cell of CO2, a synchronous com-
ponent of the signal can be extracted corresponding to

emission in just the modulated regions of the cell
transmittance spectrum, i.e., the CO2 line wings. The
response can be tuned to maximum sensitivity at
particular parts of line wings by adjusting the mean
cell pressure. Since this also integrates the signal over
all lines within the filter band, it gives an improved
SNR compared with a single narrow-bandwidth
measurement. This was the principle used in the SSU
that provided the stratospheric sounding channels for
the TOVS instruments.

Microwave sounders have a major advantage over
infrared sounders, since clouds are transparent at
millimeter wavelengths. Spectral selection for micro-
wave instruments is achieved by radio, rather than
optical, techniques. Heterodyne mixing is used
to combine the atmospheric microwave signal with a
local oscillator (LO) at some central frequency
ð�GHzÞ. Since the mixing process is nonlinear, an
‘intermediate-frequency’ ð�MHzÞ signal is produced
corresponding to the difference between the two input
signals. The result is to convert the atmospheric
spectrum immediately above the LO frequency from
microwave to radio frequencies,with themirror image
of the atmospheric spectrum below the LO frequency
also superimposed. The spectral features can then be
resolved with radio-frequency filters. The technology
has now developed to the point where it is possible to
achieve adequate SNR in bandwidths comparable to a
stratospheric line width, allowing sounding up to the
stratopause (Figures 9 and 10).

Operational Temperature Sounders

The National Oceanic and Atmospheric Administra-
tion (NOAA) began routine atmospheric temperature
sounding measurements (Table 2) with the Vertical
Temperature Profile Radiometer (VTPR) instruments
on board the NOAA 2–5 satellites which operated
from 1972 to 1979. These were infrared radiometers
with six temperature sounding channels from
13–15mm, plus a water vapor channel at 18 mm and
another channel in the 11 mm atmospheric window.

The VTPR was superseded by the TOVS (TIROS
Operational Vertical Sounder) suite, first flown on the
TIROS-N satellite in 1978 and subsequently on the
NOAA 6–14 satellites. TOVS consisted of three
instruments:


 HIRS/2 (High-resolution Infrared Radiation
Sounder), a development of the HIRS instrument
originally flown on Nimbus 6. This was a 20-
channel infrared radiometer with 12 temperature
sounding channels covering both the 15 mm and the
4:3mmCO2 bands, in addition to water vapor,
ozone and atmospheric windows.
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 SSU (Stratospheric Sounding Unit), a development
of the PMR instrument also flown on Nimbus 6.
This measured CO2 emission at 669 cm�1 and
used three different pressure modulator cells (at
1.5, 5, and 15 hPa) for stratospheric temperature
sounding.


 MSU (Microwave Sounding Unit), a four-channel
microwave radiometer sounding the O2 band at
60GHz.

ATOVS (Advanced TOVS) was first flown on
NOAA 15, launched in 1998, and consists of two
instruments:


 HIRS/3, a 20-channel infrared radiometer with
similar spectral channels to HIRS/2 (Figures 6
and 7).


 AMSU (Advanced Microwave Sounding Unit), a
20-channel microwave radiometer designed for
temperature and water sounding (Figures 9 and
10). This replaces the MSU and SSU with a single
microwave instrument.

Under the current PolarOperational Environmental
Satellites (POES) program, NOAA aims to operate
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tion is 1.

Table 2 The NOAA operational temperature sounders

Satellite Launch Deactivated Orbit

VTPR

NOAA-2 Oct. 72 Jan. 75 a.m.

NOAA-3 Nov. 73 Aug. 76 a.m.

NOAA-4 Nov. 74 Jun. 86 a.m.

NOAA-5 Jul. 76 Jul. 79 a.m.

TOVS (HIRS/2,MSU, SSU)

TIROS-N Oct. 78 Jan. 80 p.m.

NOAA-6 Jun. 79 Mar. 87 a.m.

NOAA-7 Jun. 81 Jun. 86 p.m.

NOAA-8 Mar. 83 Dec. 85 a.m.

NOAA-9 Dec. 84 Feb. 98 p.m.

NOAA-10 Sep. 86 Sep. 91 a.m.

NOAA-11 Sep. 88 Mar. 95 p.m.

NOAA-12 May 91 Dec. 98 a.m.

NOAA-13 Aug. 93 Aug. 93 p.m.

NOAA-14 Dec. 94 p.m.

ATOVS (HIRS/3, AMSU)

NOAA-15 May 98 a.m.

NOAA-16 Sep. 00 p.m.

NOAA-M Mar. 02 a.m.

NOAA-N Dec. 03 p.m.

NOAA-N0 Mar. 08 p.m.
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two satellites at any one time, each in a Sun-synchro-
nous orbitwith either a southward Equator crossing at
around 7.30 a.m. local time (AM orbit) or a north-
ward Equator crossing at around 2.30 p.m. (PM
orbit), so that coverage of any point is repeated every
6 hours. Eventually the EuropeanOrganisation for the
Exploitation of Meteorological Satellites (EUMET-
SAT) will take over responsibility for the AM orbit
with its Metop satellites containing additional
instruments such as IASI, while the NOAA program
merges with the military Defense Meteorological
Satellite Program (DMSP) to form the National Polar-
orbiting Operational Environmental Satellite System
(NPOESS) which will provide satellites in two other
orbits.

Limb Sounding

Viewing tangentially through the atmospheric limb
means the background is cold space, so that semi-
transparent optical paths can be used in preference to
opaque paths, and consequently the weighting func-
tions are determined by geometry rather than optical
thickness. Compared with nadir viewing, limb view-
ing generally allows better vertical resolution and
coverage to higher altitudes. However, a fundamental
problemwith the limb viewing geometry is that the ray
paths traverse significant horizontal distances in the
atmosphere ð�200 km in the 1 km thick layer above
the tangent point), which limits the scale of horizontal
structures which can be resolved. Also, tropospheric
limb views are more likely to be obscured by clouds
than nadir views, restricting low-altitude coverage
using the infrared. For these reasons, limb viewing is
particularly suited to temperature sounding in the
stratosphere and mesosphere, while nadir sounding is
used for the troposphere.

For a typical polar orbiting satellite at 700 km
altitude the tangent point is some 3000 km away, so
that 3 kmat the tangent point subtends only 0.001 rad,
or approximately 30 of arc. The narrow field of view
reduces the radiance flux, so that SNR becomes a
significant problem. Diffraction is also a limiting
factor for microwave instruments: angular resolution
varies approximately as the ratio of antenna width to
wavelength, so to resolve 0.001 rad at 2 cm (60GHz)
would require a 5m antenna.

Weighting Functions

Neglecting the background termdue to cold space, eqn
[1] becomes

I ¼
Z 1

�1
B
dt
dx

dx ½14�

where x is now the distance along the tangent path,
with x ¼ 0 at the tangent point and x ’ þ1 at the
satellite. Ignoring refraction and assuming a spherical
Earth of radius a, distance x and altitude z ð� aÞ along
a path are related by

x2 ’ 2aðz� ztÞ ½15�
where zt is the altitude of the tangent point. For an
isothermal atmosphere at temperature T, the molar
density of air, r, varies with altitude as:

r ¼ pt
RT

exp � z� zt
H

� �
½16�

where pt is the pressure at the tangent point, and
H ð¼ RT=gM, from eqn [6]) the atmospheric scale
height. Integrating eqn [3] along the path, assuming
constant absorber volume mixing ratio v and absorp-
tion coefficient s, and converting to altitude coordi-
nate z0 ¼ z� zt,

w ¼ vs
Z 1

�1
rdx ½17�

¼ vs
pt
RT

ffiffiffiffiffiffi
2a

p Z 1

0

1ffiffiffiffi
z0

p exp � z0

H

� �
dz0 ½18�

¼ vs
pt
RT

p
ffiffiffiffiffiffiffiffiffiffi
2aH

p
½19�

If the absorption is weak then I ’ Bw and
dt=dz � �dw=dz, so the characteristic shape of limb
viewing weighting functions is given by

dt
dz

/ 1ffiffiffiffi
z0

p exp � z0

H

� �
½20�

In practice, the width of the peak is limited by the
layering assumed for the retrieval. Examples, convert-
ed to temperature ðdI=dTðzÞ rather than dI=dBðzÞÞ,
are plotted in Figure 11. Note that at lower altitudes,
where this spectral region becomes opaque, the
weighting functions resemble those of a nadir sounder
(Figure 7).

The vertical profile can be sounded either using a
single detector and scanning in elevation, or by using a
detector array to view the different elevation angles
simultaneously. However, in practice, at least two
spectral channels are required in order to retrieve
pressure profile information as well.

Pressure Determination

Tomodel the atmospheric transmittance (eqn [14]) it is
also necessary to know the pressure, which is usually
retrieved simultaneously with temperature (the prob-
lem does not arise in nadir sounding, since the
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equivalent radiative transfer equation, eqn [11],
is formulated in pressure coordinates). This re-
quires radiance measurements in at least two
spectral channels with different pressure–temperature
characteristics.

Differences in temperature sensitivity arise from the
spectral dependence of the Planck function or varia-
tions in the absorption coefficient, e.g., the changing
shape of the rotational band structure (Figure 3). Some
variation in pressure sensitivitymay also arise from the
absorption coefficient, but the biggest effect is
the nonlinear variation of radiance with optical thick-
ness: I ’ Bð1� exp ð�wÞÞ (from eqn [14]), with w / p
(eqn [19]).

Figure 12 illustrates the problem graphically, with
good pressure–temperature discrimination corre-
sponding to conditions where radiance contours
from any two channels intersect at a large angle.
At high pressure, all radiances are independent
of tangent point pressure (I ’ B, opaque limit). At
low pressure, all radiances vary linearly with pressure
(I � w, transparent limit). The best pressure–
temperature discrimination occurs between 100 and
10 hPa (15–35 km in the atmosphere) as the channels
undergo different transitions from the opaque to
transparent limits.
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For microwave measurements, radiances can be
almost independent of temperature. Assuming I ’ Bw
(optically thin), and considering only the pressure and
temperature dependent components of eqn [19],

I / Bs
p

T

ffiffiffiffiffi
H

p
½21�

For the wings of Lorentz-broadened lines, s / p=
ffiffiffiffi
T

p
,

and since the scale height H and, in the microwave
region, B are both proportional to T, the temperature
dependences all cancel out, leaving I / p2.

Since it is generally not possible to retrieve both
temperature and pressure independently over all
altitudes, it is usual to include some knowledge of
the vertical distance between tangent points, either
using the fixed geometry of a detector array or else
pointing information from the elevation scan, and
assume hydrostatic balance (eqn [6]) to constrain the
problem.

Limb Emission Sounders

Table 3 lists limb emission instruments used for
temperature retrievals. The various techniques for
nadir-viewing instruments all have their parallels in
limb sounding, although with modifications driven by
the different viewing geometry.

As with nadir sounding, the earliest measurements
were made with infrared radiometers using the
CO2 15mmband. The good SNR performance achiev-
able with broad filters means that this technique
continues to be used for high spatial resolution
measurements (Figure 13). Although the precise
choice of filter position does not have as crucial an
influence on the sounding characteristics as in the
nadir viewing case, it is nevertheless desirable to
choose spectral regions of intermediate absorption.
Too opaque, and little information is obtained from
the tangent point; too transparent, and the SNR is
unnecessarily reduced. Apart from requiring at least
two channels in order to retrieve both pressure and
temperature, additional channels can be used in order
to optimize the transmission characteristics for differ-
ent altitude ranges.

Gas correlation and spectrally resolving instru-
ments are usually employed in limb sounding in
order to discriminate between lines of the target
molecule and those of other species. However,
foreign lines have only a small influence in the
15 mmCO2 band so, for temperature sounding,
the main advantage of these instruments is in
improving the pressure–temperature discrimination.
The main drawback is the reduced SNR associated
with the narrower bandwidth and, in the case of

Table 3 Satellite limb sounding temperature sensors

Launch Satellite Instrument Technique a

1976 Nimbus 6 LRIR Limb Radiance Inversion Radiometer FR

1978 Nimbus 7 LIMS Limb Infrared Monitoring of the Stratosphere FR

SAMS Stratospheric and Mesospheric Sounder GC

1981 SME Solar Mesosphere Explorer RS

1991 UARS ISAMS Improved Stratospheric and Mesospheric Sounder GC

CLAES Cryogenic Limb Array Etalon Spectrometer FP

HRDI High Resolution Doppler Imager FP

WINDII Wind Imaging Interferometer MI

MLS Microwave Limb Sounder MW

1994, 1997 Shuttle CRISTA Cryogenic Infrared Spectrometers and

Telescopes for the Atmosphere GS

2001 Odin OSIRIS Odin Spectrometer and IR Imaging System RS

SMR Sub-Millimeter Radiometer MW

2001 Envisat MIPAS Michelson Interferometer for Passive Atmospheric Sounding MI

SCIAMACHY cScanning Imaging Absorption Spectrometer

for Atmospheric Chartography GS

2001 TIMED SABER Sounding of the Atmosphere using

Broadband Emission Radiometry FR

TIDI TIMED Doppler Interferometer FP

2003 Aura HIRDLS High Resolution Dynamics Limb Sounder FR

MLS Microwave Limb Sounder MW

TES bTropospheric Emission Spectrometer MI

aFR5 filter radiometer, GC5gas correlation radiometer, FP5Fabry–Perot spectrometer, MI5Michelson interferometer, MW5

microwave radiometer, GS5grating spectrometer, RS5Rayleigh scattering.
bSee also Table 1.
cSee also Table 4.
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gas correlation, the need to viewperpendicularly to the
orbital motion in order to avoid introducing Doppler
shifts between the atmospheric lines and those in the
onboard cell.

Microwave instruments have an advantage over
infrared instruments in being insensitive to cloud at
low altitude and to non-LTE effects at high altitude.
However, vertical resolution is limited by diffraction,
which can cause problems in resolving the tropopause
and at high altitudes it becomes necessary tomodel the
Zeeman splitting of lines which varies with the Earth’s
magnetic field along the line of sight. Since the
radiances are almost independent of temperature,
these instruments effectively retrieve a pressure pro-
file, with temperature information coming mostly
from hydrostatic balance. Concomitantly, the impact
of any temperature errors on the constituent retrievals
is also reduced.

These measurements all rely on thermal emission
from the atmosphere, but, at shorter wave-
lengths, Rayleigh-scattered sunlight can also be
detected. Since the scattering is proportional to
air density, measurements of the scattering
profile can be used to determine the temperature
profile. The technique is usable only during daytime,
and for relatively high altitudes where Rayleigh single
scattering can be assumed, but has been used with
SME and OSIRIS measurements (both grating spec-
trometers).

Occultation Measurements

Occultation measurements use the Sun, Moon, stars,
or other satellites as the source of the detected
radiation and monitor the change as the source rises
or sets beyond the atmospheric limb. While the
geometry is the same as that of limb emission
measurements, the location of the tangent point is
defined by ephemeris data (i.e., knowledge of the
positions of the satellite, Earth and source), which is
usually more accurate than using the satellite attitude/
pointing data which defines the tangent point for limb
emission measurements. Potentially, occultation re-
trievals can therefore be performed on an absolute
height scale. However, the relative motion of the
source often means that the locus of tangent points is
far from vertical, leading to ‘slanted’ profiles, extend-
ing over several hundred kilometers horizontally.

Table 4 lists the instruments used for occultation
measurements of temperature.

Solar Occultation

The Sun can be viewed through the atmospheric limb
as a satellite passes between the day and night
hemispheres, i.e., twice an orbit, or about 30 times in
24 hours for a polar orbiting satellite.

Solar radiation, equivalent to that of a 6000K
blackbody, has a peak at visiblewavelengths (Figure 2),
but for temperature pressure sounding it is necessary
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to use molecular features in the near infrared such as
the O2 A-band at 0:76 mm or the CO2 bands at 2:7mm
and 4:3 mm. With the Sun in the line of sight, thermal
emissions from the atmosphere are negligible, so eqn
[1] can be simply integrated:

I ¼ Bsunt ½22�

Taking the ratio with the high-altitude radiance Isun ¼
Bsun gives the atmospheric transmittance t, with
weighting functions dt=dz as for limb sounding
(eqn [20]).

The main advantage of solar occultation over limb
emission measurements is the high SNR, allowing
increased vertical and spectral resolutions, and sound-
ing to higher altitudes. Also, since the measurements
are of transmittance rather than emission, non-LTE
effects are generally less significant and, by taking
the ratio of radiances, the measurements are self-
calibrating.

Since the absolute altitude of the tangent point is
known (in practice this depends on the ability of the
solar tracker to keep locked onto the same part of the
solar disk), it is possible to retrieve temperature using
only a single channel. Pressure information at the
lowest altitude pðzÞ can be obtained from meteoro-
logical fields and integrated upwards.

Alternatively, transmittance spectra can be acquired
using an interferometer. Pressure and temperature can
be retrieved from the strength and shape of a band, but
if the resolution can be made high enough (e.g.,
0:01 cm�1 for ATMOS, Figure 14) then pressure
information can also be retrieved from the individual
line widths.

At shorter wavelengths, it is possible to determine
the temperature profile (via air density) by measuring

the attenuation due to Rayleigh scattering. This has
been applied to SAGE II data, but measurements of
molecular absorption are generally preferred.

Whichever technique is used, themain disadvantage
of solar occultation is that only around 30 profiles
a day can be obtained, with the sunrise and
sunset profiles confined to two narrow latitude bands
and no information obtainable during nighttime or the
polar winter. SAGE III and SCIAMACHY can also use
lunar occultation (although not for temperature
retrievals), which can double the number of occulta-
tion events per orbit and extend coverage outside
sunrise or sunset conditions. GOMOS uses stellar
occultation: observing any of�100bright stars as they
rise or set through the atmosphere gives near
global coverage, although at the expense of much-
reduced SNR.

Table 4 Satellite occulation temperature sensors

Launch Satellite Instrument Technique a

1984 ERBS SAGE II Stratospheric Aerosol Gas Experiment II FR

1985 Spacelab 3 ATMOS Atmospheric Trace Molecule Spectroscopy MI

1991 UARS HALOE Halogen Occultation Experiment GC/FR

1993 SPOT-3 POAM II Polar Ozone and Aerosol Measurement II FR

1995 Microlab-1 GPS/MET Global Positioning System Meterology RO

1996 ADEOS ILAS Improved Limb Atmospheric Spectrometer GS

1998 SPOT-4 POAM III Polar Ozone and Aerosol Measurement III FR

2001 Envisat GOMOS Global Ozone Monitoring by Occultation of Stars GS

SCIAMACHY bScanning Imaging Absorption Spectrometer

for Atmospheric Chartography GS

2001 Meteor-3M SAGE III Stratospheric Aerosol Gas Experiment III GS

2002 SCISAT ACE Atmospheric Chemistry Explorer MI

2005 Metop GRAS GPS Receiver for Atmospheric Sounding RO

aFR5 filter radiometer, MI5Michelson interferometer, GC5 gas correlation radiometer, RO5 radio occulation, GS5grating

spectrometer.
bSee also Table 3.
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GPS Sounding

In the Global Positioning System (GPS) a network of
24 satellites each continuously emits precise timing
and location information. By comparing the received
signals from at least four satellites, it is possible to fix
the three-dimensional coordinates of any point in
space, the fourth satellite being required to establish
the time offset. Although intended as a navigation aid,
the signals can also be used to determine the atmos-
pheric density profile.

Relative to a receiver placed in low Earth orbit, GPS
satellites rise or set beyond the horizon several
hundred times each day. As the signals pass through
the atmosphere, refraction introduces a time delay
which, if measured relative to a reference clock, can be
used to determine the refractive index profile, hence
density and temperature.

It is conventional to describe the GPS clock delay in
terms of the refraction angle e (Figure 15). For a
spherically symmetric atmosphere, Snell’s law gives
the following relationship along the refracted path:

nr sin y ¼ constant ¼ q ½23�

where n is the refractive index, r the distance from the
centre of curvature, and y the angle of the ray to the
local horizontal (y ¼ 0 at the tangent point). The
constant q is the tangent distance of the unrefracted
ray, sometimes known as the ‘impact parameter’ from
the analogy with nuclear physics.

Defining a refractive radius x ¼ nr, it can be shown
that the total deflection of the ray e is given by an
integral of the refractive index profile nðxÞ:

eðqÞ ¼ �2q

Z þ1

q

q ln nðxÞ
qx

� �
ðx2 � q2Þ�1=2 dx ½24�

During the occultation, a set of measurements eðqÞ is
acquired. The Abel transform can then be used to
invert this relationship to recover the refractive index
profile (hence density, from eqn [8]):

ln nðxÞ ¼ 1

p

Z þ1

z

eðqÞðq2 � x2Þ�1=2 dq ½25�

The maximum altitude, limited by the minimum
phase shiftwhich can be detected, is around50 kmand
the vertical resolution is of the order of 1 km.

The main problems with using GPS occultation as a
standalone temperature sounder are the assumptions
of horizontal uniformity and the effect of tropospheric
water vapor (eqn [8]).GPSmeasures only one quantity
– refractive index – so there is no means of separating
the effects of air density and water vapor concentra-
tion or determining the horizontal gradients unless
external information is used. This is less of a disad-
vantage when used in conjunction with a forecast
model which can provide prior estimates of water
vapor and temperature fields. With advances in data
assimilation techniques, the refraction itself may
eventually be directly modeled, so even occultations
extending over large horizontal distances could be
used.

GPS receivers are relatively cheap and lightweight
ð�1kgÞ, and free of calibration errors (time being
the only measured variable), so it seems likely that
GPS occultation measurements, either inverted
or directly assimilated, will be an important
source of atmospheric temperature information in
the future.

See also

Radiative Transfer: Absorption and Thermal Emission;
Non-local Thermodynamic Equilibrium. Satellites: Re-
search (Atmospheric Science).
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Introduction and History

The Total Ozone Mapping Spectrometer (TOMS) is a
satellite-borne instrument that measures ozone by
measuring the ultraviolet light scattered from the
atmosphere. These measurements are used to deter-
mine the total column amount of ozone in the
atmosphere. The idea that ozone could be measured
quantitatively from a satellite was first put forward in
1957 by Singer and Wentworth.

During the 1960s, a number of satellites were
launched with instruments that could be used to
deduce the concentration of ozone as a function
of altitude. In 1967, Dave and Matter published a
theory for the derivationof the total columnamount of
ozone from a satellite backscatter instrument. This
theorywas used for the interpretation of the data from
the first instrument, to measure the total column
amount, of ozone from space, the backscatter ultra-
violet (BUV) instrument. The BUV instrument was
launched on the Nimbus 4 satellite in 1970. It
made nearly-global measurements for two years and
then operated more sporadically for an additional
five years.

The modern global data record starts with the
launch of the Nimbus 7 satellite in 1978. The satellite
carried two ozone-measuring instruments, the Solar
Backscatter Ultraviolet (SBUV), and the Total Ozone
Mapping Spectrometer (TOMS). The SBUV instru-
ment was a double monochromator designed to
measure backscattered radiation at 12 wavelengths
from255nm to340 nm.Thesewere used todeduce the
upper-stratospheric concentration profile of ozone
and the total column amount of ozone along the nadir
track of the satellite.

The TOMS instrument measured the backscattered
radiation at sixwavelengths from 312.5 nm to 380 nm
so that the total column amount of ozone could be
deduced. TOMS was a single monochromator with a
scanning mirror that allowed the instrument to make
measurements at 35 scan angles from left to right
across the ground track of the satellite. TOMS was
thus able to measure over the entire sunlit portion of
the globe each day.

The TOMS instrument on Nimbus 7 made meas-
urements for more than 14 years. The instrument
finally failed in May 1993. A second TOMS instru-

mentwas launchedon theRussianMeteor 3 satellite in
1991. This instrument made total ozone measure-
ments until the end of 1994.A thirdTOMS instrument
was launched on the Japanese ADEOS satellite in
1996. The satellite power array failed after seven
months of operation. The fourth instrument was
launched on the Earth Probe satellite, also in 1996.
Designated EP-TOMS, it was still taking data in late
2002. A fifth instrument, Quik-TOMS, was launched
in September, 2001 but the launch vehicle’s second
stage did not fire correctly and the instrument did not
reach orbit.

The TOMS measurements are best known for
images of the ozone hole. When Farman’s paper on
low ozone in the Antarctic was published in 1985,
TOMS images revealed that this was a continent-wide
phenomenon and not local. TOMS now maps
the development of the ozone hole each Antarctic
spring.

Theory of TOMS Measurement

Rayleigh Scattering

Light from the Sun penetrates into the atmosphere,
with most of the visible light reaching the ground.
Light is scattered by the molecules that make up the
atmosphere in a process called Rayleigh scattering,
named after LordRayleighwho first described it in the
late nineteenth century. The probability of Rayleigh
scattering depends inversely on to the fourth power of
the wavelength (l�4). Thus, an ultraviolet photon of
300 nm wavelength is 16 times more likely to be
scattered than a visible photon of wavelength 600 nm.
This is why the sky is blue; when we look at the sky
away from the Sun, blue light ismuchmore likely to be
scattered towards us than is red light.

Ozone Absorption

Sunlight can be absorbed in the atmosphere by a
variety of molecules. The principal absorber of ultra-
violet light in the Earth’s atmosphere is ozone.
Absorption in the UV by ozone is strong enough that
a few parts per million of ozone remove all of the
sunlight at wavelengths shorter than about 300 nm
before they can reach the ground. We are thus
provided with a shield from the high-energy radiation
that could break important DNA bonds in living cells.
The absorption of UV by ozone is the property that we
generally use to measure the amount of ozone in the
atmosphere. From the ground, we can look upward
and measure how much radiation reaches us at a
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wavelength that is absorbed by ozone. We can
compare this to the radiation received at a nearby
wavelength that is not absorbed by ozone to determine
the amount of ozone that must be between us and the
Sun. From satellites, we can look down and measure
the radiation that is scattered back out of the atmos-
phere and again compare the amount at an absorbed
wavelength with an unabsorbed (or less absorbed)
wavelength.

Surface Reflection

Radiation that does reach the ground can be absorbed
or reflected by the surface. The probability of reflec-
tion depends on the nature of the surface. In the
ultraviolet, the Earth is a very poor reflector. The UV
reflectivity of the ocean in the 300–350 nm region of
the spectrum is only about 4%. Most land surfaces
have similarly low reflectivities, no more than 5%
except in desert areas. Areas covered by ice and snow
have very high reflectivities, reaching 90% in the
Antarctic.

Clouds

When clouds are present, radiation reaching them is
reflected back to space with high efficiency. Cloud
reflectivities can reach 80–90% for thick clouds. Solar
radiation that is reflected by clouds does not pass
through the part of the atmosphere below the cloud
and has no opportunity to be absorbed by the ozone
below the clouds. The TOMS measurement is thus a
measurement of the ozone above the cloud layer.
Fortunately, this is a small effect since 90% of the
ozone in the atmosphere is in the stratosphere. Only
part of the 10% in the troposphere will be below the
clouds. This amount can be estimated from climatol-
ogy, so that the measurement can be transformed into
a fairly accurate estimate of the total column of ozone
in the atmosphere.

Aerosols

Aerosols (dust particles in the atmosphere) also scatter
radiation, further adding to the atmosphere’s overall
reflectivity. Their scattering does not follow the l�4

dependence of Rayleigh scattering but is close to a l�1

dependence. When dust is in the atmosphere, the sky
appears more nearly white. Aerosols do not affect
our ability to measure ozone. However, the multiple
reflectivity wavelengths can be used to deduce
some information about the properties of aerosols.
Measurement deviations from the expected result
for a Rayleigh scattering atmosphere can be used
to determine an aerosol index (see results section
below).

Description of the Retrieval Algorithm

TOMS measures ultraviolet light scattered from the
atmosphere and the Earth and clouds. An algorithm is
needed to infer ozone from these measurements. The
instrument looks downward at the Earth and also uses
a diffuser plate to look at direct sunlight. The basic
measured quantity is the ratio of the direct solar
irradiance to the backscattered radiance. This is
usually expressed as the N-value, or logarithm of the
ratio (eqn [1]).

N ¼ �100 log I0=Fð Þ ½1�

F is the solar irradiance at the particular wavelength
and I0 is the Earth’s backscattered radiance.

Using the ratio of direct solar to backscattered
radiation cancels some of the main instrumental
errors; that is, the instrument throughput is the same
for each measurement. However, a diffuser plate is
used to reflect the sunlight into the instrument. The
reflectivity of the diffuser plate affects the solar
irradiance measurement, but not the backscattered
radiancemeasurement. If a pair of wavelengths is used
in the analysis, then the diffuser reflectivity can be
canceled out in the ratio if that reflectivity is the same
for both wavelengths. Thus we form the pair N-value
as in eqn [2].

Np ¼N l1ð Þ �N l1ð Þ

¼ log I01=F1ð Þ � log I02=F2ð Þ ¼ log
I01=I02ð Þ
F2=F1ð Þ

½2�

These N-values reflect the effects of scattering,
reflection, and absorption. Figure 1 illustrates the
dependence of N-value on wavelength, clearly show-
ing that an ozone signal can be derived from the data.
The actual algorithmused for the TOMS retrieval uses
a radiative transfer code based on the early work of
Dave. Forward calculations are carried out for a
matrix of parameters including total ozone. These
then form a lookup table that is interpolated to derive
total ozone.

Description of the TOMS Instrument

Instrument

The TOMS instruments are single, fixed monoch-
romators with exit slits at six near-UV wavelengths.
The slit functions are triangular with a nominal 1 nm
bandwidth. The order of individual measurements is
determined by a chopperwheel. As it rotates, openings
at different distances from the center of the wheel pass
over the exit slits, allowing measurements at the
different wavelengths. The order was not one of
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monotonically increasing or decreasing wavelength;
instead, the wavelengths were interleaved tominimize
the effect of scene changes on the ozone retrieval.

A ground aluminum diffuser plate was deployed to
reflect sunlight into the instrument formeasurement of
the solar irradiance. This diffuser plate was shared
with the Solar Backscatter Ultraviolet (SBUV) exper-
iment on the Nimbus 7 satellite. It was normally
deployed once a week for TOMS solar irradiance
measurements, in addition to the SBUV deployments.

Orbit

The Nimbus 7, ADEOS, and Earth-Probe satellites
were in Sun-synchronous polar orbits. The nearly
circular orbit is oriented perpendicular to the plane of
the Earth’s orbit around the Sun such that the satellite
comes over the south pole of the Earth toward the
Equator; crosses theEquator near local noon; and then
passes over the north pole onto the nightside of the
Earth. The satellite crosses the Equator again on the
nightside at near midnight local time. By the time the
satellite comes back onto the dayside, the Earth has
rotated for approximately 90minutes and the satellite
passes over a point at the Equator that is 27 degrees of
latitude to the west of the previous orbit, again at local
noon. In this way, the satellite orbits l5 times per day,
fixed relative to the Sun, and the Earth rotates
underneath so that the satellite sees the whole of the
surface of the Earth within a 24-hour period.

This is a qualitative description of the orbits.
Actually, for the purpose of orbit stability, the satellite
does not pass exactly over the pole. For the three
spacecraft above, the orbital inclination was approx-
imately 981, which gave a maximum poleward
latitude of 801. From this orbit TOMS could see the
pole itself by scanning to the far right or left. The
Meteor 3 spacecraft was in a polar orbit but was not
Sun synchronous. Its Equator-crossing time drifted
fromnear noon tonear sunset andback tonear noon in
a 220-day cycle.

Geometry and Timing

The instrument field of view for TOMS is 3� 3
degrees. At an altitude of 950 km for Nimbus 7, this
projects to a nadir spot size on the surface of 50 km by
50 km. Earth-Probe was launched initially into a
500 km orbit. This resulted in a nadir spot size of
26 km. In December of 1997, it was boosted to an
altitude of 740 km, increasing the nadir spot size to
40 km.

For each of the TOMS instruments, a mirror scans
perpendicular to the orbital plane in 35 steps of 31. The
scan angles range from 511 on the right side of
spacecraft nadir to 511 on the left (relative to the
direction of flight). At the end of the scan, the mirror
returns to the first position and begins another scan.
For Nimbus 7, the cross-track scans from consecutive
orbits overlapped, creating a completely filled global
map of the sunlit part of the Earth each day. The lower
altitude of the Earth-Probe TOMS results in small
areas between orbits near the Equator where no
measurements are made. The location of these gaps
shifts from day to day so that no place fails to be
measured over the span of a few days.

During the cross-track scan, each of the 35 meas-
urement locations is observed for 200ms. The total
duration time for a single scan is 7.8 s, during which
time the satellite travels approximately 40 km. One
orbit consists of nearly 400 cross-track scans or 13 000
measurements. Fifteen orbits result in about 190 000
measurements of total ozone every day.

Wavelengths

TOMS makes measurements at six wavelengths.
These are selected by slits cut into a chopper wheel
that rotates at 5 revolutions per second. The wave-
lengths for the Nimbus 7 TOMS and the Earth Probe
TOMS are shown in Table 1, along with the absorp-
tion and scattering coefficients averaged over the slit
function of the spectrometer.

The basic ozone-measuring wavelengths are at
312.5 nm and 317.5 nm. These are sufficiently ab-
sorbed by ozone to get a signal and sufficiently
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Figure 1 Illustration of the dependence of N-value on wave-

length. The N-values for all of the TOMS measurements for one

day (1 January 1985) within one degree of latitude of 351N were

averaged to make the plot. The linear straight line is fitted to the

three longest wavelengths to illustrate an extrapolation to shorter

wavelengths. The actual TOMS algorithm uses a full radiative

transfer code to determine this extrapolation. The difference

between the short-wavelength N-values and the extrapolation

represents the absorption by ozone.
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transmitted to reach near the surface. On Nimbus 7
TOMS, the 360 nm and 380 nmwavelengths measure
the reflectivity of the surface/atmosphere.

Some Results from TOMS
Measurements

Reflectivity

Thebasic TOMSmeasurement is of reflected radiation
at six wavelengths. The longer of these wavelengths
are not affected by ozone absorption and are thus a
measure of the reflectivity of the atmosphere in the
ultraviolet. The algorithm calculates the expected
backscattered radiation from a pure Rayleigh-scatter-
ing atmosphere. Deviations from this expectation are
driven primarily by clouds and secondarily by aero-
sols. The deviation caused by clouds can be represent-
ed as a percentage reflectivity (see Figure 2).

A major feature of nadir remote sensing in the
ultraviolet is that the surface is relatively dark. Typical
minimum reflectivities off the surface of the ocean are
about 4%. While the surface is dark, Rayleigh
scattering is strong in the UV. The Rayleigh scattering
cross-section varies as the inverse fourth power of the
wavelength (l�4). Thus, only about 30% of the
radiation at 350 nm reaches the ground for typical
mid-latitude conditions. The return signals to TOMS
are generated mostly in the lowest part of the
troposphere. This has implications for the derivation
of total ozone; TOMS does not see pollution in the
boundary layer very well.

Ozone Maps

The original selling point for the TOMS was the
capability to map the total ozone content on a daily
basis to help understand its relationship to changes in
the meteorology of the atmosphere. The problem of
the relationship of total ozone to meteorology goes
back to Dobson in the 1920s. Dobson had six of his
spectrophotometers built and distributed throughout
Europe to examine this problem. He found that when
a high-pressure system was present, ozone was low;
and when a low-pressure system was present, ozone
was high. TOMS can make a map of the entire sunlit
portion of the globe in a single day (see Figure 3).

Table 1 Effective absorption and scattering coefficients

Vacuum wavelength

(nm)

Effective ozone

absorption

coefficient

(atm cm� 1)

at 273K (C0)

Rayleigh scattering

coefficient (atm�1)

Nimbus 7 TOMS

312.34 1.9000 1.022

317.35 0.9915 0.954

331.06 0.1703 0.797

339.66 0.0390 0.715

359.96 1(�8) 0.560

380.01 1(�8) 0.446

EP-TOMS

308.65 3.23 1.077

312.56 1.83 1.020

317.57 0.973 0.953

322.37 0.536 0.894

331.29 0.165 0.795

360.40 1(�8) 0.557
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Figure 2 Single-day (1 March 1982) reflectivity map at a

wavelength of 360nm over North America. Gray shaded area

indicates where reflectivity is greater than 60%, indicating the

presence of clouds. High reflectivity over Northern Canadamay be

clouds or snow/ice.
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Figure 3 Single-day (1 March 1982) ozone map over North

America. Gray shaded area indicates where total ozone amount is

greater than 400 DU.
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When the discovery of the ozone hole was an-
nounced in 1985, TOMS was immediately used to
map the extent of the ozone-depleted region (Figure 4).
Using TOMS, the daily progress of the hole could be
followed. These maps demonstrated how the depleted
region rotated around the pole, was distorted by the
meteorology, and was finally broken up by a series of
wave events that eroded the polar vortex.

TOMS also can produce maps of ozone over the
Arctic polar region (not shown). These show the

contrast in the seasonal variation of total ozone over
the two poles. These maps clearly demonstrate the
day-to-day and year-to-year variability of ozone over
the Arctic.

Ozone Trends

The Nimbus 7 TOMS instrument was originally
designed to map ozone on a daily basis as a study of
day-to-day variability in total ozone. TOMS is now
used as a part of a satellite-basedmeasurement system
for detecting long-term trends in stratospheric ozone.
A number of features in the TOMS measurements
have made it possible to detect calibration drifts of the
instrument well enough that a data record now exists
for more than 20 years that is estimated to be good to
nearly 1% per decade (2s).

An important feature of the TOMS measurement is
the redundancy of having more than one ozone-
absorbing wavelength. In the algorithm, the use of
pairs of wavelengths to calculate albedo cancels out
many of the potential instrument errors. Drift errors
that remain have a tendency to be larger with larger
separation in wavelength of the pair. The redundant
pairs ofwavelengths can be used in a ‘pair justification’
to remove drift errors that are linearly proportional to
wavelength.

TOMS(alongwithSBUV)has becomean instrument
that provides a long-term calibrated data record for
trend detection. These data have been used in standard
statistical analyses for trends (Figures 5 and 6). These
statistical analyses fit the time-series to terms for mean,
seasonal variation, linear trend, 11-year sunspot cycle,
and 26-month quasi-biennial oscillation. The continu-
ation of this data set will be used in the search for the
expected turnaround in ozone as the provisions of the
Montreal Protocol begin reducing the amount of
ozone-depleting chlorine in the atmosphere.

Figure 4 Single-day (5 October 2000) ozone map over the

Antarctic. Dark blue to purple shades near pole indicatewhere total

ozone amount is less than 220 DU, a common definition for the

region of the Antarctic ozone hole. Themap is a polar orthographic

projection with the south pole at the center and the equator at the

outer boundary. Zero longitude is to the right.
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Aerosols

TOMS measures the reflectivity of the Earth–atmos-
phere system at several wavelengths not absorbed by
ozone. If the atmosphere were perfectly clean, the
backscattered radiation received by the satellite
could be determined from a Rayleigh scattering
calculation that would predict a specific ratio of
radiation between two wavelengths. Aerosols disturb
this ratio in a predictable manner; one direction
for absorbing aerosols, the opposite for non-
absorbing aerosols. Using these facts, the TOMS
data has been used to determine an ‘aerosol
index’. Reasonable assumptions about the nature
of the aerosols lead to global maps of the spread
of dust from deserts and smoke from biomass
burning in Africa and South America. There are now
20 years’ worth of such data from the TOMS
instruments.

UV at Surface

Many of the effects of ozone depletion are related to
the dose of ultraviolet radiation received at the surface
of the Earth. TOMS measures the outgoing, absorbed
UV radiation and the reflectivity due to clouds and
aerosols. These data can be combined with a radiative
transfer modal to estimate the UV flux at the surface
daily over the globe. Again, TOMS now has 20 years’
worth of daily UV flux maps available.

Tropical Tropospheric Ozone

TOMS measures the total column amount of ozone
with some adjustments for the inefficiency of the
penetration of UV sunlight into the boundary layer. In
the Tropics, most of the variability of total ozone
around a circle of constant latitude is in the tropo-
sphere rather than the stratosphere. Several schemes
have been developed for taking advantage of this
property of the total ozone measurements to derive
tropical tropospheric ozone columnamounts. Thefirst
of these combined the TOMS measurements with
concurrent measurements from the SAGE (Strato-
spheric Aerosol and Gas Experiment) occultation
measurements of the stratospheric amount.

Subsequently, several techniques have been devel-
oped that use the assumption of constant stratospheric
ozone around a circle of constant latitude on a given
day. The amount of that stratospheric ozone can be
estimated by using the difference between the tropo-
spheric ozone amount measured by a sonde and the
concurrent TOMS total ozone measurement. Alter-
natively, the stratospheric ozone amount can be
estimated directly from TOMS measurements above
the location of the highest clouds. That amount can be
subtracted from the total ozone, yielding a tropical
map of column tropospheric ozone.

Application of these techniques for deriving tropical
tropospheric ozone gives maps showing the ozone
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generated by the products of biomass burning. The
ozone development and transport can be seen far
downwind from the burning source.

Summary and Future of TOMS
Measurements

Wenowhavemore than 20 years’worth of global total
ozone data from TOMS instruments and the related
SBUV instruments. The Earth Probe TOMS is the
last in the scheduled series. Future global total ozone
measurements will be made by a continuing series
of SBUV/2 instruments on the NOAA polar-orbiting
satellites and by a new generation of ozone-
mapping instruments. The new-generation instru-
ments will use charge-coupled-device arrays to image
the Earth at a large number of wavelengths.
These include the Global Ozone Measurement
Experiment (GOME), its successor GOME II, the
SCHIAMACHY instrument on Envisat, all launched
by the European Space Agency, and the Ozone
Measuring Instrument (OMI) on the EOS-Aura satel-
lite. These instruments will transition into the Ozone
Mapper Profiler Suite (OMPS) scheduled to fly on the
NOAA/NASA/DOD National Polar Orbiting Envi-
ronmental Satellite System (NPOESS) beginning in
about 2010.

See also

Observations for Chemistry (In Situ): Ozone Sondes.
Observations for Chemistry (Remote Sensing):

IR/FIR; Microwave. Stratospheric Chemistry and
Composition: Overview.
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Introduction

The measurement of water vapor from space
now has an extensive history going back to 1978,
when the NASA Nimbus 7 spacecraft was launched
carrying two sensors, the Limb Infrared Monitor
of the Stratosphere (LIMS), and the Stratospheric
and Mesospheric Sounder (SAMS). Both carried
channels at 6 mmwavelength in the infrared, to detect

thermal emissions from the atmosphere as the
spacecraft orbited the Earth in a polar orbit.
Shortly afterwards, a new generation of operational
meteorological sounders was launched by NOAA,
also in the USA, carrying the TIROS Operational
Vertical Sounder (TOVS) package; part of TOVS
was the High Resolution Infrared Sounder
(HIRS), which made measurements of water
vapor in the troposphere. Since that time satellite
instruments operating in the infrared, the visible,
and the microwave regions of the electromagnetic
spectrum have operated in space, and a long series
of measurements in both troposphere and strato-
sphere have been made. This article reviews these
measurements.
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Principles and Overview

In this sectionwediscuss someof the general principles
involved in remote sensing of atmospheric constitu-
ents, before we present some specific examples of
satellite missions which have measured atmo-
spheric water vapor.

Emission or Absorption

Remote sensing operates by detection of electromag-
netic (e.m.) radiation from the Earth by an instrument
on an orbiting spacecraft. There are two principal
sources of e.m. radiation that have been most widely
used in measurements of water vapor to date. These
are the thermal emission from water molecules, and
absorption of the visible/near ultraviolet radiation
from the Sun. There are other techniques that could be
mentioned, such as measurement of solar scattering,
or the use of artificial radiation sources, such as lasers,
but since these have not been used very widely for
water vapor measurements, we will not consider them
further in this work.

Thermal Emission The Planck radiation law de-
scribes the maximum thermal radiation that can be
emitted as a function of wavelength from any object at
a temperature, T. This law shows that the intensity of
radiation is a smooth curve with a single maximum at
a wavelength in the infrared, lm, defined by Wien’s
displacement law

lmT ¼ 2898 mmK ½1�

where the wavelength is expressed in microns, mm.
Therefore, as an example, at a temperature of T ¼
250K (which is a typical temperature in the mid-
troposphere), the maximum intensity occurs at about
11.6 mm. In practice, the intensity of radiation is also
dependent on the optical thickness of the atmospheric
path under consideration: this, in turn, depends on the
density or concentration of the absorbing molecules
along that path. If this is written in terms of the Planck
function, Bðl; TÞ, and the density of water vapor as a
function of height, rwðzÞ, then

Iðl; yÞ ¼
Z zt

z

Bðl; TðzÞÞ tðz; ztÞ al rwðzÞ f ðyÞ dz ½2�

where al is the absorption coefficient expressing the
strength of electromagnetic coupling to the radiation
field at wavelength l, tðz; ztÞ ¼ exp�ðR ztz alrwðzÞ
f ðyÞdzÞ is the transmittance from z to zt (the top of
the atmosphere), and f ðyÞ allows for non-vertical
transmission paths ð¼ 1= cos y for yo � 60	Þ. If the
temperature of the atmosphere is known from other

measurements, then the dependence of Iðl; yÞ on
tðz; ztÞ and rwðzÞ allows density to be determined.

Absorption In the absorption case, the controlling
equation, say for the case of looking at the Sun through
the atmosphere at the limb of the atmosphere, is

Iðl; yÞ ¼ I0ðlÞ tðzg; ztÞ ½3�

where zg is the grazing height, or the minimum
height of the solar beam as it traverses the atmosphere,
and tðzg; ztÞ represents the transmittance of the
path from the edge of the atmosphere on the sunward
side, via the grazing height, and on to the edge of
the atmosphere on the satellite side. Knowing the
extraatmospheric solar intensity, I0ðlÞ, allows
the transmittance and therefore the density to be
determined. The principal differences from emission
sensing are that absorption does not depend (at least to
first order) on atmospheric temperature, and that
emission measurements may be made at any time of
day or night, whereas solar-dependent methods can
obviously be applied only when the Sun is in the right
location.

Limb or Nadir Sounding

We have already indicated that the direction in which
we view the atmosphere is important. There are two
principal techniques in use. In the first, nadir sounding,
widely used for sounding the lower atmosphere or
troposphere, the satellite sensor is directed towards the
nadir, i.e., downwards from the spacecraft. This is
used most, often in emission mode, and the upwelling
thermal radiation from the atmosphere is observed. It
proves possible to detect emission from broad but
distinguishable layers of the atmosphere because
the term known as the ‘weighting function’, WðzÞ,
defined as

WðzÞ ¼ dt
dz

¼ tðz; ztÞ al rwðzÞ f ðyÞdz ½4�

displays a single peak at a height dependent on the
values of the separate terms, which can be arranged to
be at heights between the surface and the tropopause.
Because of this property, the density of water vapor in
the troposphere canbe sounded as a functionof height.
The technique of nadir sounding using atmospheric
emission is used widely in meteorological sounding,
including the measurement of humidity.

In limb sounding, the limb of the atmosphere, just
above the horizon, is viewed with a sensor with a
narrow field of view. Either emission or solar absorp-
tion may be employed. By geometrically limiting the
field of view, the vertical profile of emission or
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absorption, and therefore the vertical profile of water
vapor density, may be scanned.

Choice of Wavelength

In principle, any wavelength at which there is thermal
emission or solar absorption, and at which the water
vapor in the atmosphere is spectrally active, may be
employed. In practice, thermal emission from the
infrared bands or microwave bands of water vapor
have been used most frequently for the detection of
atmospheric humidity.

Summary of Missions and Instruments

We have space here to only review a relatively few
examples of satellite remote sensing of water vapor.
Table 1 lists someof themore successful attempts to do
so, organized into the three categories of infrared
emission, microwave emission, and infrared and
visible solar absorption (occultation).

Examples of Satellite Experiments to
Measure Water Vapor in the
Atmosphere

Infrared Thermal Emission Measurements

Troposphere The principal satellite instrument for
measuring tropospheric water vapor over the past few
decades has been the High Resolution Infrared
Sounder (HIRS), one of the suite of instruments
making up the TIROS Operational Vertical Sounder
(TOVS) package. ‘TIROS’ in this nested acronym
stands for the Television and Infra Red Operational
Sounder, the original name for the NOAA weather
monitoring system. HIRS is an infrared sounder,
viewing the upwelling radiation from the atmosphere

below the spacecraft. HIRS has 20 channels, formed
using interference pass-band filters, throughout the
thermal infrared, including 3 that measure around
6.3 mm wavelength in the v2 emission band of water
vapor. The ‘footprint’ or spatial resolution of HIRS is
about 25 km in the nadir, and about 40 km at each end
of the sideways scan that it uses tomaximize coverage.
Table 2 gives some of the important parameters of
channel 12 ofHIRS,which detects upper-tropospheric
water vapor.

The upwelling IR radiation comes from a restricted
range of altitudes, defined by the strength of water
vapor absorption at each wavelength. This idea is
captured by the definition of the weighting function,
WðzÞ , introduced above, which measures the relative
amount of radiant energy reaching the spacecraft
flying above the atmosphere fromeach layerwithin the
atmosphere. WðzÞ is actually equal to the vertical
derivative of transmittance at the wavelength in
question, as shown in eqn [4]. An example of the
typical shape of the HIRS 12 weighting function is
shown in Figure 1. At wavelengths where the spe-
ctral absorption coefficient is larger, the curve shown is
higher in the atmosphere, and vice versa for a
wavelength at which the absorption coefficient
is smaller.

In order to develop a qualitative understanding of
the shape of theweighting function, and how its height
depends on absorption coefficient, consider the fol-
lowing. From the highest layers of the atmosphere, the
density of water vapor is very low, so that the emission
signal reaching our spacecraft instrument is very low
from these layers. If we imagine moving deeper into
the atmosphere, the emission signal seen at the
spacecraft increases, as the density of water vapor
increases. At some point, defined by the magnitude
of the absorption coefficient at the wavelength in

Table 1 Satellite instruments for measurements of water vapor: a sample

Instrument Latitude Period of assessment Vertical range

1. IR emission

TOVS (nadir sounder) global 1979–1999 (daily) 200hPa to 500hPa

LIMS (limb sounder) 641S–841N Oct. 1978–May 1979 (daily) 1 hPa to 100hPa

2. Microwave emission (limb)

MLS stratospheric 341N–801S or 341S–801N Sep. 1991–Apr. 1993 0.01 hPa to 100 hPa

MLS UTH See MLS stratospheric Sep. 1991–Sep. 1994; intermittent

thereafter

147, 215, 316, 464hPa

MAS Near-global range of latitudes

per Shuttle mission

Mar/Apr. 1992, Apr. 1993,

Nov. 1994

0.01 hPa to 50hPa

3. Solar occultation (limb)

HALOE 701S–701N Oct. 1991–Sep. 1999 0.01 hPa to 200 hPa

ILAS 571N–731N, 641S–881S Nov. 1996–Jun. 1997 0.1 hPa to cloud tops

POAM III (solar occultation) 541N–711N, 631S–881S Mar. 1998–Sep. 1999 3hPa to cloud tops
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question, another effect begins to come into play:
because the emitting layers are now overlain by quite a
lot of absorbing water vapor, the IR radiation emitted
from these layers towards space is actually partly
absorbed before it emerges from the top of the
atmosphere. Moving deeper still into the atmosphere
means that this reabsorption effect increases, until, for
the deepest layers (depending on the absorption

coefficient, and therefore the wavelength), the energy
actually reaching the top of the atmosphere can fall to
near zero. Hence the general shape of the weighting
function. If the wavelength is changed to a more
absorbingone, the height of the peak inWðzÞ rises, and
vice versa. In this way, though with modest vertical
resolution, the water vapor density of the troposphere
can be mapped in three dimensions as the satellite
orbits over the greater part of the globe.

Data from HIRS/TOVS have been available since
1979, with minimal gaps, and provide an important
source of information about the distribution and
variability of water vapor in the troposphere, used by
scientists interested in both short-term weather and
long-term climate. Figure 2 illustrates some data from
HIRS.

An instrument called MOPITT (Measurements Of
Pollution In The Troposphere) was launched on board
the Terra satellite in December 1999, to provide
measurements of CO in the troposphere, with rela-
tively coarse vertical resolution, but with good hori-
zontal sampling; these allow maps of CO distribution
to be produced, and MOPITT techniques are also

Table 2 Characteristics of the HIRS channel 12

Parameter Description

Method Measure upwelling clear-sky IR emission

near 6.3mm.

Accuracy 1.11K (5 observations per month); 0.11K

(100observations per month); 0.1K

(global/interannual).

Precision 0.01K.

Time/space resolution Monthly averages; 2.51 latitude and

longitude.

Altitude range 200–500hPa (depends on water vapor

amount).

Calibration Onboard black body and cold space view.
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Figure1 Examples of weighting functions forHIRS12 in the TOVSpackage. TheHIRS12weighting function for two different profiles of

water vapor, expressed as the precipitable water vapor in the layers 1000–500, 500–300, and 300–100 hPa, are shown, compared with

weighting functions for two other instruments, SSM/T2, and GMS-5, a geostationary instrument.
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usable in principle to measure water vapor. In
addition, in 2003 the EOS Aura satellite will carry
the TES (Tropospheric Emission Spectrometer) instru-
ment, which will make a variety of very valuable
measurements of tropospheric constituents, including
water vapor, with excellent spatial and temporal
resolution. TES is based on the pedigree established
by the Fourier transform experiment called ATMOS,
which flew on the Space Shuttle, to measure the high-
resolution spectrum and composition of the strato-
sphere.Table 3 shows some of the basic characteristics
of TES.

Stratosphere In many ways, the remote sounding of
the stratosphere is simpler than that of the tropo-
sphere. This is because in the stratosphere there are

virtually no clouds to interrupt the line of sight and
complicate the observed signal; the densities are lower,
so that spectral lines are narrow and better separated
than in the troposphere; and techniques like limb
sounding may be used, in which the long path to the
horizon maximizes the signal from trace molecules,
and provides a cold background of space against
which to make measurements. These advantages are
considerable, andhave led to the development ofmany
stratospheric remote sounding techniques, while
tropospheric sounding is still in its infancy.

As an example, we take the Limb Infrared Monitor
of the Stratosphere (LIMS), which flew on theNimbus
7 satellite, and which operated from 25October 1978
to 28 May 1979. LIMS was a cryogenically cooled
broadband filter radiometer, which included a water
vapor channel at 6.9 mm.The7-month lifewas limited,
by design, by the lifetime of the solid cryogens used.

LIMS provided the first comprehensive global view
of stratospheric water vapor. The new data were used,
along with measurements of CH4 from the UK
Stratospheric and Mesospheric Sounder (SAMS), to
study the budget of water vapor and hydrogen in the
stratosphere. Precision, or relative accuracy, varied
from 710% for pressures greater than about 10 hPa
to 15% between 5 and 10 hPa. Much was learned
about the operation and characteristics of an advanced
IR sounder during this experiment, experience which
was valuable in developing later generations of
instruments.
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Figure2 Measurements of upper-tropospheric humidity (UTH) in the layer 500–200hPameasuredbyHIRS, expressedasmaps for the

four seasons DJF, MAM, JJA, and SON, averaged over the years 1980–1997.

Table 3 TES characteristics

Maximum sampling time of 16 s with a signal-to-noise ratio of up to

600:1

Limb mode: altitude coverage50–34 km

Nadir and limb viewing (fully targetable)

Spectral region: 3.2 to 15.4mm
Swath: 5.3� 8.5 km

Spatial resolution: 0.53� 5.3 km

Mass: 385 kg (allocation)

Power: 334W (allocation)

Data rate: 6.2Mbps (peak); 4.9Mbps (average)

Physical size: 140� 130� 135 cm (stowed); 304� 130� 135 cm

(deployed)
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TheLIMS experiment has been followedbyother IR
sensors, employing a variety of techniques, too many
to be reviewed fully here. The reader is referred to the
survey contained in the book Earthwatch listed under
Further Reading.

Microwave Thermal Emission Measurements
of the Stratosphere

In the extreme far infrared, or microwave region, at
wavelengths beyond about 1mmor so, a fundamental
change in techniques is necessary. Thermal radiation is
still emitted by all objects, but the intensity is so weak
that itmaybe detectedwith any certainty only by using
the radio techniques of superheterodyne detection.
Thus, systems involving mixers and local oscillators
(LO) have been developed (the mixers/detectors are
related to the old crystal set whiskers) and have been
used to detect the sidebands formed by mixing of the
incoming signal from the atmosphere with the LO.
Such systems have been developed over many
years to achieve the high sensitivity in brightness
temperature that is necessary to detect emission
lines from atmospheric gases such as H2O, O3, CO,
ClO, and others.

The principal advantages of the microwave tech-
nique are that the spectral resolution of the system is
extremely high, so that atmospheric line shapes can be
resolved, while at these long wavelengths, scattering
due to particles and droplets is small (cf. the l�4

dependence of Rayleigh scattering on wavelength), so
that clouds and dust are less of a problem to remote
sounding. Problems can arise in the calibration of such
systems, for example because standing waves are set
up in apparatus which can change if a component is
physically rotated ormoved, andwhich can give rise to
a varying background signal. Also, because of the long
wavelength, diffraction limits the field of view that

can be achieved, unless very large antennae are
used. Nevertheless, very useful measurements have
been made, relatively uncontaminated by cloud or
dust.

The accuracy quoted for latest version ofMLSwater
vapor measurements is about 70.3 ppmv at 20 km,
0.2 ppmv at 40 km, and about 0.5 ppmv at 70 km.

The Microwave Limb Sounder (MLS) which flew
on the Upper Atmosphere Research Satellite
(UARS) demonstrated the true power of a limb
sounding microwave radiometer for making global
measurements for the first time. A more advanced
instrument is being developed for theNASAEOSAura
mission, and is currently scheduled to be flown in
2003.

Some examples of MLS data, in a comparison with
HALOE measurements, are shown in Figure 3.

Solar Occultation Measurements

Solar occultation, uses the Sun as a source of radiation
and measures the change in signal as the Sun rises or
sets behind the limb of the atmosphere. Solar occulta-
tion has been used with great success in a number of
experiments. We note the valuable data produced by
the Stratospheric Aerosol and Gas Experiment
(SAGE). However, we use as an example the most
highly successful stratospheric experiment perhaps of
recent times, the Halogen Occultation Experiment
(HALOE). This is a thermal IR solar occultation
device with a number of spectral channels, which uses
gas correlation techniques aswell as broadband filters.
In gas correlation spectroscopy, a sample of the gas to
be detected is carried in a cell on board, and provides a
natural filter to atmospheric radiation specifically
from that gas. HALOE has worked now for just on 10
years, and has provided a quite unprecedented set of
data on the stratosphere over this long period. Given
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Figure 3 (A) Examples of midlatitude water vapor mixing ratios for the period Oct. 1991–Apr. 1993, measured by MLS (version 0104,

solid lines) and HALOE (version 19, broken lines). In each case the darker line is the mean and the lighter lines the standard deviation.

(B) Differences between MLS and HALOE: solid5mean difference; dotted5 r.m.s. difference; dashed5absolute mean difference;

dot–dashed 5 combined instrumental uncertainties.
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that more and more scientific interest is coming to be
centered on long-term changes in our climate, the
continued operation of this extremely valuable instru-
ment is most important.

Among the advantages of this experiment are the
well-known ones due to limbsounding (see earlier). In
addition, however, the solar occultation method
allows an absolute calibration against the Sun
outside the atmosphere at each limb scan. This has
proven an extremely important advantage when
the data have come to be used for long-term trend
and variability studies. The main disadvantage
of the solar occultation technique is that since the
measurement is made only during local sunrise and
sunset, only two measurements are made per orbit:
for a 15 orbit day, that is 30 observations per day,
with a quite widely spaced horizontal sampling (see
Figure 4). This should be compared with the closely
spaced, uniform sampling possible from a nadir
sounder like HIRS.

HALOEmeasures not only H2O but also CH4, O3,
NO, NO2, and temperature. The combination of
water vapor andmethanemeasured simultaneously by
one sensor has been exploited by a number of groups
to study the hydrogen budget and water vapor trends
of the stratosphere: trends of the order of
50–150 ppbv year� 1 occurred during the first half of
the 1990s, less in the second half. Such changes
produce significant change in the water vapor amount
in the stratosphere, which may influence the radiative
balance due to this species.

Figure 5 shows an estimate from HALOE data
of the trends over the periods January 1992–December
1996 and January 1992–April 1999, demonstrat-
ing the change in trends detected over these
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twoperiods.These trends are still notwell understood,
but it has been shown that they have a significant
effect on the Earth’s radiative energy balance.

See also

Climate:Overview.Global Change: Upper Atmospheric
Change. Methane. Observations for Chemistry (In
Situ): Gas Chromatography; Resonance Fluorescence;
Water Vapor Sondes. Observations for Chemistry
(Remote Sensing): IR/FIR; Microwave. Satellite Re-
mote Sensing:Water Vapor.Stratospheric Chemistry
and Composition: Hydrogen Budget. Stratospheric
Water Vapor.

Further Reading

For more comprehensive information about missions,
instruments and data, the reader is particularly directed
towards the following two publications:

Harries JE (1995) Earthwatch: The Climate from Space.
Wiley-Praxis.

SPARCAssessment of Upper Tropospheric and Stratospher-
ic Water Vapour (2000) World Climate Research
Programme Report No. 113, World Meteorological
Organisation, Geneva. (The author is particularly in-
debted to the authors of this report, which has provided
very valuable background in writing this article.)

Also, the NASA web site gives details of many instruments
and missions: http://www.earth.nasa.gov/

Wind, Middle Atmosphere

P B Hays and W R Skinner, University of Michigan,
Ann Arbor, MI, USA
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Historical Perspective

The middle atmosphere is that portion of our atmos-
phere above the troposphere where we live and below
the high altitudes where the atmosphere is exposed to
the extreme ultraviolet radiation from the Sun. Mo-
tion of the air in this middle region of the atmosphere
has traditionally been difficult to observe owing to its
remoteness. Historically, what we understand about
the dynamics of themiddle atmosphere has been based
on theoretical prediction. It is known that this region is
strongly influenced by the absorption of sunlight by
ozone and by the upward propagation of wave
energy generated by heating of the Earth’s
surface and by weather systems in the troposphere.
However, direct observations of the motions resulting
from these sources of energy were extremely difficult
to obtain.

In the period following World War II, direct
observations of winds in these high regions were first
obtained by tracking smoke and vapor trails generated
from payloads carried on small sounding rockets.
These observations were extended by using other
rocket-borne means of observing the winds, including
timing the arrival on the ground of sound bursts
generated by a series of grenades, tracking lightweight
inflated Mylar spheres by radar as they descended
through the moving atmosphere, and observing more
exotic vapor trails from several ground stations.
However, the most important information came with
the introduction of high-frequency sounding radar

systems that observed the motion of irregularities in
the upper regions of the atmosphere. These important
observations allowed the time variation of the winds
over a ground station to be followed throughout the
day and over long time periods to reveal the diurnal
and seasonal behavior of the middle atmosphere.
These mixed techniques provided a glimpse of what
the atmosphere was doing in a series of places on
Earth, but many mysteries remained concerning the
global behavior of the atmosphere.

Satellite Observations

In the early 1980s a series of satellites, called the
Dynamics Explorers, were launched to examine the
behavior of the thermosphere by observing a large
number of the variables that defined the state of that
region of the atmosphere. One of these satellites
contained an instrument that was designed tomeasure
the winds in the upper atmosphere by determining the
Doppler shift of isolated spectral features in the
spectrum of light emitted from the thermosphere.
This instrument, called the Fabry–Perot Interferom-
eter, was able to detect the slight shift in wavelength of
light caused by the Doppler effect when the light-
emitting gas was in motion relative to the spacecraft.
This instrument was very small and relatively un-
sophisticated but was able to define on a global
scale the relatively large dynamic motions of the
thermosphere.

The Dynamics Explorer Fabry–Perot Interferom-
eter illustrated that the winds could be observed
remotely from a satellite by using an instrument that
could detect the Doppler shift of sharp spectral
features in the spectrum of light emitted or scattered
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by the atmosphere. In the early 1980s when the
Dynamics Explorerswere still in orbit, construction of
a new satellite was begun. This satellite, called the
Upper Atmosphere Research Satellite (UARS), was
designed to observe the entiremiddle atmospherewith
a multiplicity of instruments in order to define the
dynamic and chemical state of this important region.
Again it was recognized that the dynamics of the
middle atmosphere needed to be defined if the chem-
istry and thermodynamic state of the middle atmo-
sphere were to be understood. Two instruments were
selected for this purpose, one called the High Resolu-
tion Doppler Imager (HRDI) and the other the Wind
Imaging Interferometer (WINDII). HRDI was de-
signed to remotely sense the winds in the middle
atmosphere, and WINDII to sense the winds in the
thermosphere and upper reaches of the middle atmos-
phere. These two instruments have vastly increased
the knowledge of the dynamic state of the entire upper
regions of the atmosphere above the tropopause. The
instruments are similar in concept, but quite different
in detail. Thus, a discussionof their true natureswill be
given to introduce the observations that have been
made by these two unique sensors.

High Resolution Doppler Imager (HRDI)

TheHRDI has at its heart a very sensitive Fabry–Perot
interferometer to detect the small wavelength shifts
that are caused by the Doppler shift of absorption and
emission lines in the Earth’s spectrum. HRDI must
look at both absorption and emission lines, and thus is
somewhat more complex than WINDII, which views
only isolated emission lines. HRDI consists of three
components: a telescope for viewing the atmosphere,
an interferometer, and a microprocessor and electron-
ics. Light from the atmosphere is collected by a fully
gimbaled telescope that allows observations on either
side of the spacecraft to be obtained in rapid sequence.
The HRDI telescope is mounted on the bottom of the
UARS spacecraft and is able to view most of the
hemisphere below the satellite. This allows the instru-
ment to examine the horizon of the atmosphere all the
way around the UARS spacecraft. An illustration of
the HRDI telescope is shown in Figure 1. During the
launch phase of the mission the aperture is covered by
the caging device. After the satellite reaches orbit, the
cover is pulled away and the telescope zenith and
azimuth drives are actuated to view points on the
atmospheric horizon.

Light enters the interferometer either from the
telescope or from calibration sources. The light beam
is expanded and passes through broadband filters
contained in one of two filter wheels. The beam is then

further expanded and enters the spectrally sensitive
interferometer, which contains three progressively
higher-resolution spectral filters called etalons. The
spectrally dispersed beam is focused onto a multi-
channel concentric ring image plane detector that
spatially scans the ring-shaped wavelength pattern. A
schematic illustration of the interferometer is shown in
Figure 2. This diagram shows the light rod that
transmits the light from the telescope to the interfer-
ometer, the filter wheels, followed by the three
spectrally sensitive etalons (HRE, MRE, LRE), and
finally the image plane detector (IPD) where the
spectrum is examined.

Doppler shifts of monochromatic emission lines
appear on the detector as changes in the diameter of
the ring of light that is imaged by the etalons onto the
detector. Figure 3 shows the signal observed by an
emission line on the image plane detector with and
without a Doppler shift. Figure 3 clearly demonstrates
that the shift has a very small effect at the line center:
the most notable change is seen on the sides of the line.
The Doppler shift causes the signal on one side of the
line to increase and the signal on the other side to
decrease. Careful measurement of this signal differ-
ence allows the Doppler shift of the line to be
determined.

The design of HRDI allows for versatile program-
ming of operational modes, which are stored in the
computer’s memory as lookup tables. A single mode is
described to illustrate the sequence of operations used
by the instrument to determine thewind as the satellite
moves along its orbit. A stratospheric daytime wind
mode is described in which the atmosphere from 10 to
40 km in altitude is observed with a horizontal
resolution of about 500 km along the orbit. The
telescope initially looks forward at an azimuth of
about 451 from the spacecraft velocity vector, and
vertically scans the atmosphere in 2.5 km steps by
pointing at the horizon. After this sequence is per-
formed, the telescope slews to look backward, at an
azimuth of 1351 to the satellite velocity vector.
The altitude scan is repeated to provide the second

Zenith drive

Yoke

Azimuth drive

Adapter

Optical interface

Telescope

Cover/caging
device

Figure 1 A schematic illustration of the HRDI telescope.
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component of the wind at the same series of altitudes
as done in the forward scan. This cycle is continued
until a new mode of operation is commanded by the
instrument’s computer. A diagram of these operations
is shown in Figure 4.

Lines of Doppler shift are observed in the two
orthogonal directions and the selected altitudes and
converted to line-of-sight winds. These data are then
subjected to an inversion process that yields the
horizontal component of wind velocity at a set of
fixed altitudes at specified points along the satellite
orbit. The final step in processing the information is to
interpolate the data onto a common UARS temporal
and spatial grid for use by the scientific community.

The High Resolution Doppler Imager has been in
operation since early November 1991 and is still
providing the scientific community with detailed
observations of the winds in the middle atmosphere
as at this writing early in 2002. A diagram showing the
latitude coverage by HRDI over the first five years of
its history is shown in Figure 5, where the vertical bars
show where observation were made. In most cases,
each observation set consists of either stratospheric or
mesospheric altitude profiles of wind vectors.

Wind Imaging Interferometer (WINDII)

The WINDII senses temperatures and winds in the
upper mesosphere and lower thermosphere by meas-

uring both Doppler widths and shifts of isolated
spectral lines emitted by airglow and auroras in the
visible and near-infrared portion of the spectrum. The
instrument views the atmospheric line simultaneously
in two directions, 451 and 1351 from the velocity
vector and, owing to the spacecraft motion, the same
atmospheric region is viewed by each with a separa-
tion of a few minutes. This provides both horizontal
components of the neutral wind. An imaging detector
provides simultaneous measurements of temperature
and wind profiles over the instrument’s entire altitude
range. The instrument consists essentially of a charge-
coupled device (CCD) camera viewing the limb of the
Earth through a field-widened Michelson interferom-
eter. It takes four to eight images with the interferom-
eter optical path difference changed by 1/4 or 1/8 of a
wavelength between images. It views a number of
emission lines in order to retrieve spectra from 70 to
315 km altitude. These emissions are summarized in
Table 1. The WINDII instrument began operation in
the fall of 1991 and is still capable of taking measure-
ments in early 2002.

The basic approach of aMichelson interferometer is
to split an optical beam into two beams, insert a phase
delay between them, recombine them, and measure
the resulting signal. The phase delay is introduced by
forcing the beams to traverse separate paths of
unequal length. The signal as a function of the path
length difference is the Fourier transform of the input
spectrum. For a good representation of a general input

Figure2 A schematic illustration of theHRDI interferometer. HRE,MRE, LREare high,medium-, and low-resolution etalons; IPD is the

image plane detector.
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spectrum to be obtained, the path separations must
vary by a significant distance, up to several centime-
ters. However, a significant simplification is possible

for the type of observations conducted by WINDII.
The spectral region examined is very small, containing
atmost twoor three emission lines of a known spectral
shape and a small continuum background that can be
assumed to be spectrally flat. For the fundamental
quantities of the lines (position, which provides the
wind; width, which provides the temperature; and
brightness, which provides the volume emission rate)
and the background to be obtained, the amount of
movement between the twopaths need only be about a
wavelength of light as long as the paths have a mean
separation of about 4.5 cm.

The WINDII optics are shown in Figure 6. The
Michelson interferometer optics consist of a cemented
glass hexagonal beam splitter, a glass block with a
deposited mirror in one arm of the interferometer, and
a glass block combined with an air gap and a
piezoelectrically driven mirror in the other arm. The
mirror position is controlled through capacitive sens-
ing to provide stability and accurate step size. The
CCDcamera consists of a fast camera lens andanRCA
501E CCD cooled to �501C. The imaging area has
320� 256 pixels, with a corresponding storage area
into which the image is shifted after the exposure.
During readout, binning and windowing techniques
select desired altitude ranges, and tailor the image to
the available telemetry rate. Interference filters are
mounted in a temperature-controlled filter wheel
assembly to isolate specific spectral lines. The two
telescope inputs provide two fixed views of the
atmosphere at 451 and 1351 to the flight directions.
Theyare designed tominimize stray light, to transform
the field of view to the desired value, and to provide a
suitable location for the beam combiner. TheWINDII
mechanical configuration is shown in Figure 7. The
two orthogonal input beams enter through the two
ports on the left in the outer baffle assembly (each 1m
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Figure 4 Illustration of the telescope viewing during a normal sciencemode. Actual modeswill look on just one side of the spacecraft or

the other. Typical HRDI operations look on the warm side (toward the Sun) to maximize the signal and coverage.
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long) and cross over before entering the inner baffle
assembly. The two inputs are combined into a single
beam that passes through the filter wheel and the rear
telescope before entering the Michelson interferom-
eter in its thermal enclosure. The optical train also
contains the filter wheel, a mirror for calibration
sources, and an aperture stopdown to provide lower
scattered light levels for daytime viewing. The CCD
camera is located immediately behind the Michelson
interferometer. A separate calibration box contains
spectral lamps, a tungsten lamp that acts as a contin-
uum source, and a laser. An internal microprocessor
controls all of the instrument functions including
camera control, filter wheel control, thermal control,
and control of all other mechanisms. Buffer memory
exists for additional onboard processing of the
image data before the data are sent to the telemetry
stream. The instrument parameters are summarized
in Table 2.

The data undergo several transformations that
convert the raw telemetry into profiles of geophysical
quantities. The first reads the telemetry andgenerates a

level one file that corrects for instrument effects such as
dark count and background subtraction, and for
observatory effects such as roll offsets and pixel
location, and then converts the signal to intensity
units (Rayleighs). The Rayleigh is a convenient unit of
brightness that was invented by Lord Rayleigh and is a
brightness of 106 photons per square centimeter per
second. These data are then inverted into vertical
profiles of emission rate, temperature, and horizontal
wind components for both fields of view. These
profiles from the two fields of view are then combined
to obtain meridional and zonal wind profiles. This
level 2 file is then mapped onto a specific grid (called
level 3) that is common for all UARS instruments.

Satellite Observation of Middle
Atmosphere Winds

During the lifetime of theUpperAtmosphereResearch
Satellite, the HRDI and the WINDII have revolu-
tionized our knowledge of the winds in the middle
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Figure 5 Latitude coverage of the HRDI instrument from the beginning of the operations in October 1992 through July 1996. A vertical

line is drawn covering the latitude extent for each day the instrument was switched on.

Table 1 Emission characteristics of spectral features observed by WINDII

Emission Wavelength (nm) Filter bandwidth

FWHM (nm)

Height range (km)

O(1S) green line 557.7 1.6 80–110, 150–300

O(1D) red line 630.0 1.6 150–300

OH (8–3) band 730.0 1.2 80–110

O2 atmospheric (0–0) band 762.0 0.09 80–110

O1(2D) 732.0 1.4 200–300
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atmosphere. The information that has been provided
by the two instruments can be divided into classes by
considering the short-term, or daily, variations, and
the longer-term (seasonal and interannual) variations
of the winds on a global basis.

Mesosphere

The instantaneous picture of the winds in the upper
regions of the middle atmosphere exhibits the most

dramatic variations. In the upper mesosphere, the
energy being propagated upward from the diurnal
oscillation of solar heating at the surface and in the
lower regions of the atmosphere results in a very
dramatic diurnal solar tide that grows exponentially
with altitude. The firstmaps of thewindfields taken by
HRDI shortly after launch, shown here in Figure 8,
exhibit extreme oscillations in the 80–100 km altitude
region. The equatorial winds at 80 km observed by the
satellite as it passed through local noon are directed
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Figure 6 A schematic diagram of the WINDII optical system.
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strongly toward the west with magnitudes in excess
of 75m s� 1. At the 90 km level, the situation is very
different, with little or no wind seen near the

Equator. As the satellite orbital plane rotates through
local time, the pattern of winds shows strong local
time variations, reversing every 12 h in a sinusoidal

Table 2 WINDII instrument parameter summary

Parameter Description

Type of instrument Field-widened Michelson interferometer

Geophysical parameters determined Atmospheric temperature, horizontal wind vector, volume emission

rate

Wavelength coverage 550–780nm

Viewing geometry Limb view at 451 and 1351 to spacecraft velocity vector, maximum

latitude viewed in 741
Vertical field of view 61,corresponding to 70–315 km altitude

Vertical resolution 4 km at limb (nominal)

Horizontal resolution 20 km at limb

Time to perform single measurement B8 s

Field of view 1.78�10�7 sr pixel� 1

Aperture area 32.7 cm2 (night) 3.60 cm2 (day)

Detector thermal noise 30 electrons s� 1 pixel� 1

Read noise 100 electrons

Digitization 75 electrons count�1

Responsivity B5�10�3 counts s� 1 Rayleigh�1 (night)

B5�10�4 counts s� 1 Rayleigh�1 (day)

Wind field at 80.0 km Wind field at 85.0 km

Wind field at 95.0 kmWind field at 90.0 km
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Figure 8 Vector wind fields for 25 March 1992 (day 92085) showing cuts of the data at (A) 80, (B) 85, (C) 90, and (D) 95 km.There are

about 15 orbits every day and all the orbits follow almost the same local time path. The alternating converging/diverging flows at lower

latitudes are a clear signature of the diurnal migrating tide.
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local time pattern. This pattern of strong altitude
variations at a particular location and local time is
characteristic of a global gravity wave or tidal oscil-
lations of the atmosphere and was predicted theoret-
ically much earlier. The winds increase in magnitude
with altitude in an inverse relation to the square root
of the density (see Figure 9) until dissipation starts
to damp the waves near the 100 km level. Figure 9
shows the amplitude and phase of the diurnal tide
for two seasons, with the spring having a much larger
tide than the summer. In this figure a comparison
between the HRDI observations and model simula-
tions from the Global-Scale Wave Model (GSWM)
is shown.

Major long-term variations of the tidal oscillations
have been discovered over the past eight years with a
clear pattern of large amplitudes in the tides at the
equinoxes and minimal amplitudes at times of the
solstice. This is further illustrated in Figure 10, which
shows the seasonal variation of the tidal amplitude for
1992 through 1996. Notice here that the tidal ampli-
tude reaches a maximum in the spring and fall, while
reaching minimum values in the solstices. It is also
interesting that over longer periods the pattern of tidal
amplitude variations exhibits large interannual vari-
ability that has recently been shown to be correlated
with the semiannual oscillation that is seen in the
stratosphere.
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Figure 9 Comparison between HRDI meridional wind diurnal tidal amplitudes and phases (solid line) with the GSWM results (dashed

line) as a function of altitude at a latitude of 201 for the two months April and July.
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The upper regions of the middle atmosphere
also oscillate on shorter and longer time scales.
A semi-diurnal tide is observed in the middle
and high latitudes, again showing regular seasonal
variations, and significant interhemispheric
asymmetries have been identified. Global oscillations
with 3-day and 5-day periods are observed. These
longer-period waves appear for very short times
and appear to be generated by instabilities in the
atmosphere.

In addition to these short-term oscillations of the
middle atmosphere, there are longer-termvariations in
themean winds at altitude. The long-term variation in
winds in themiddle atmosphere is shown in Figure 11,
where the mean zonal wind is presented as a function
of altitude at the Equator, and as a function of latitude
at a fixed altitude of 82.5 km. The background zonal

wind observed by the HRDI has an interesting
behavior exhibiting regular direction changes with
the winds shifting from easterly to westerly in a very
regular semiannual pattern in the altitude range
from 70 to 90 km. Note that the easterly wind
maxima occur at the equinoxes, while the weaker
westerly maxima occur near the solstices. These
oscillations in the zonal wind are called the
mesospheric semiannual oscillation. The semiannual
oscillation in the zonal wind field is in accord with the
tidal amplitude variations that were noted earlier. In
addition to the semiannual variation in both the zonal
wind and the tides, there are longer-term modulations
of the amplitudes of the mesospheric semiannual
oscillation and of the tidal amplitudes that
correlate with the quasi-biannual oscillation in the
stratosphere.
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Figure 10 Daily estimates of the (1,1) diurnal component of the meridional wind obtained from HRDI data for an altitude of 95 km

and a latitude of 201. Panel (A) shows the derived amplitudes and panel (B) the phases, defined as the local time of the maximum

positive (northward) wind at a latitude of 201N. The solid line is a 10-day running average, which serves to highlight the long-term

variations.
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Stratosphere

The HRDI on the Upper Atmosphere Research
Satellite is the first instrument capable of performing
direct global-scale measurement of the stratospheric
wind field. When observing the winds in the strato-
sphere, HRDI detects the Doppler shift of absorption
features caused when light is transmitted through
the air in the stratosphere. The fact that HRDI can
observe a global-scale wind field extending from
about 15 to 40 km in altitude in a single day, coupled
with the length of the data set, has facilitated the
investigation of a range of temporal effects from short-
term (days) to long-term (years). Figure 12 is an
example of a stratospheric wind map obtained on a
single day.

Themeasurements shownhere are distributed along
paths that are parallel to the satellite orbit tracks. To
suppress noise generated in the inversion process, the

HRDI wind analysis employs a sequential estimation
technique. The operation of the sequential estimation
procedure is such as to generate a vector for both the
upward anddownward limb scans and for the forward
and backward line-of-sight measurements for approx-
imately the same geographic location. Thus, clusters
of four vectors are generated, the members of which
are not independent of each other. Strong westerly
flows are seen in the Northern (winter) Hemisphere,
while in the Southern (summer) Hemisphere, the
winds are weaker and predominantly easterly. The
strong southward and northward flows over Canada
and Siberia, respectively, are indicative of planetary
wave activity.

Figure 13 is a chronological sequence ofHRDI daily
stratospheric wind maps that document the breakup
of the Antarctic polar vortex in the austral spring of
1993. Here the dramatic decay of the polar vortex is
seen, the breakup of the cold polar air mass occurring
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Figure 11 Background zonal wind observed by the HRDI (A) as a function of altitude and time at the Equator and (B) as a function of
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as the Sun begins to heat the polar air in the polar
spring.

Longer time scales are represented by the time–
altitude sections of longitudinally and monthly aver-
aged zonalwinds at the Equator asmeasured byHRDI

and given by the UK Meteorological Office assimila-
tion model, shown in Figure 14. Very close agreement
between HRDI and the model are apparent. Both
HRDI and the model reveal the well-known structure
of the quasi-biennial oscillation (QBO) in the middle

5550 m s_1

Figure 12 Global wind field obtained by HRDI on 15 February 1993 at an altitude of 25 km.Suchmaps can be obtained on a daily basis

for altitudes from 10 to 40 km, at intervals of 2.5 km.
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Figure 13 Sequence of four HRDI Southern Hemisphere wind maps for an altitude of 25 km, documenting the breakup of the polar

vortex during the Antarctic spring of 1993. These data, together with simultaneous constituent measurements obtained by other UARS

instruments, provide important information on how the ozone hole is formed and how it ultimately contributes to global ozone depletion.
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stratosphere, with downward propagation of succes-
sive easterly and westerly flow regimes. Above 35 km
the principal feature in both sets of results is the
semiannual oscillation of the upper stratosphere. In
the discussion of the mesosphere, a clear relation
between the QBO and the mesospheric zonal winds
and the tides was seen.

Conclusion

The pattern of winds observed in the middle atmos-
phere clearly shows that the atmosphere is a tightly
coupled system. Both small-scale and global-scale
waves, like the diurnal tides, are generated in the lower
atmosphere and grow in amplitude as they propagate
upward into the less-dense regions of the middle
atmosphere, where they dissipate or break, releasing
energy into the surroundings. The energy and mo-
mentum released by these waves cause the middle
atmosphere to exhibit a behavior that is both unique
and related to the sources of disturbances from below.
Since both the sources of energy in the lower reaches of
the atmosphere and the transmission of this energy
upward are dependent on the season, we find that the
middle atmosphere is an extremely interesting region
of our atmosphere. In many ways the middle atmos-
phere is like the beach of a great ocean, responding to
events both near and remote, but always a place of
great fluctuation.

This interesting complexity has been revealed by the
direct observationofwinds fromspaceby theHRDIand
WINDII instruments, which have been in orbit for over
10 years on the Upper Atmosphere Research Satellite.
These instruments are pioneers and will eventually be
replaced by newer and more sensitive detectors of
atmospheric winds. The new instruments will be both
passive, possibly using the infrared region of the
spectrum, and active, using large lasers to stimulate
the atmosphere in a much more controlled fashion for
observations of the motions in a very small volume of
space. This new generation of observationswill increase
the detail of what we know about the winds, but will
never provide the degree of excitement provided by the
first pioneering observations of winds from space.

See also

Middle Atmosphere:Gravity Waves; Polar Vortex; Qua-
si-BiennialOscillation; SemiannualOscillation; ZonalMean
Climatology.
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Introduction

To fully understand and use data frommeteorological
satellites, it is necessary to understand the orbits in
which satellites are constrained to move and the
geometry with which they view the Earth. This article
begins with a review of basic physical principles,
which reveal the shape of a satellite orbit and how to
orient the orbital plane in space. This knowledge
allows us to calculate the position of a satellite at any
time. Orbit perturbations and their effects on satellite
orbits are then discussed. Finally, the geometry of
satellite tracking and Earth location of the measure-
ments made from the satellites are explored.

Newton’s Laws

Isaac Newton discovered the basic principles that
govern the motions of satellites and other heavenly
bodies.

Newton’s Laws of Motion

1. Every body will continue in its state of rest or of
uniform motion in a straight line except insofar as

it is compelled to change that state by an impressed
force.

2. The rate of change ofmomentum is proportional to
the impressed force and takes place in the line in
which the force acts.

3. Action and reaction are equal and opposite.

Since momentum is the product of the mass of a body
and its velocity, Newton’s second law is the familiar
eqn [1], where F is force,m is mass, a is acceleration, v
is velocity, and t is time.

F ¼ ma ¼ m
dv

dt
½1�

In addition,Newton gave us the functional form of the
force that determines satellite motion in the law of
gravitation.

Newton’s Law of Universal Gravitation

The force of attraction between two point masses m1

and m2 separated by a distance r is given by eqn [2],
where G is the Newtonian (or universal) gravitation
constant (6.67259� 10� 11 N m2 kg�2).

F ¼ Gm1m2

r2
½2�

Consider the simple circular orbit shown in Figure 1.
Assuming that the Earth is a sphere, we can treat it as a
point mass. The centripetal force required to keep the
satellite in a circular orbit is mv2=r, where v is the
orbital velocity of the satellite. The force of gravity
that supplies this centripetal force isGmem=r2, where
me is the mass of the Earth (5.97370� 1024 kg) andm
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is the mass of the satellite. Equating the two forces
gives eqn [3].

mv2

r
¼ Gmem

r2
½3�

Division bym eliminates the mass of the satellite from
the equation,whichmeans that the orbit of a satellite is
independent of its mass. The period of the satellite is
the circumference of the orbit divided by the velocity
(eqn [4]).

T ¼ 2pr
v

½4�

Substituting eqn [4] in eqn [3] gives eqn [5] for the
period.

T2 ¼ 4p2

Gme
r3 ½5�

A typical weather satellite orbits 833 km above the
Earth’s surface. Since the equatorial radius of theEarth
is 6378.137 km, the orbit radius is about 7211 km.
Substituting in eqn [5] yields a period of about 6094 s
or 102min.

As a second example, we calculate the radius
required for a satellite in geosynchronous orbit, that
is, an orbit in which the satellite has the same angular
velocity as the Earth (7.292115�10�5 rad s� 1). The
angular velocity of a satellite is given by eqn [6].

x ¼ 2p
T

½6�

Substituting eqn [6] in eqn [5] gives eqn [7] for the
radius.

r3 ¼ Gme

x2
½7�

Therefore, the required radius for a geosynchronous
orbit is about 42 164 km, or about 35 786 km above
the Earth’s surface.

Keplerian Orbits

Although a circular orbit is the goal for most
meteorological satellites, in general satellites do not
travel in perfect circles. The exact form of a satellite’s
orbit may be derived from Newton’s laws of motion
and the law of universal gravitation. The results of this
derivation are neatly summarized in Kepler’s laws and
in Kepler’s equation.

Kepler’s Laws

Johannes Kepler died 12 years before Newton
was born and, thus, did not have the advantage
of Newton’s work. Kepler formulated his laws
by analyzing data on the position of the planets.
This task was complicated by the rotation of the
Earth and the motion of the Earth about the
Sun, which make planetary motions seem very
complex. In modern form, Kepler’s laws may be
stated as follows.

1. All planets travel in elliptical paths with the Sun at
one focus.

2. The radius vector from the Sun to a planet sweeps
out equal areas in equal times.

3. The ratio of the square of the period of revolution
of a planet to the cube of its semimajor axis is
the same for all planets revolving around the
Sun.

The same laws apply ifwe substitute satellite for planet
and Earth for Sun. Equation [5] is a statement of
Kepler’s third law for the special case of a circular
orbit.

Ellipse Geometry

The parameters that are used to specify satellite
orbits are based in part on geometric terminology.
Figure 2 illustrates the geometry of an elliptical
orbit. The point where the satellite most closely
approaches the Earth is termed the perigee, or
more generally the perifocus. The point where
the satellite is farthest from the Earth is called
the apogee or apofocus. The distance from the center
of the ellipse to the perigee (or apogee) is the
semimajor axis (denoted by the symbol a). The
distance from the center of the ellipse to one focus
(to the center of the Earth) divided by the semimajor
axis is the eccentricity ðeÞ. For an ellipse, the
eccentricity is a number between zero and 1
ð0oeo1Þ. A circle is an ellipse with zero eccentricity.

Earth

Satellite

r

F

Figure 1 A circular satellite orbit.
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The equation for the ellipse, that is, the path that the
satellite follows, is given in polar coordinates with the
center of the Earth as origin by eqn [8].

r ¼ að1� e2Þ
1þ e cos y

½8�

The angle y (see Figure 3) is the ‘true anomaly’ and is
always measured counterclockwise (the direction of
satellite motion) from the perigee.

Kepler’s Equation

A satellite in a circular orbit has uniform angular
velocity. By Kepler’s second law, however, a satellite
in an elliptical orbit cannot have uniform angular
velocity; it must travel faster when it is closer
to the Earth. The position of the satellite as a function
of time can be found by applying Kepler’s equation

as eqn [9].

M ¼ nðt � tpÞ ¼ M0 þ nðt � t0Þ ¼ e� e sin e ½9�
Here M is the mean anomaly, an angle that increases
linearly in time at the rate n, called the mean motion
constant, given by eqn [10].

n ¼ 2p
T

¼
ffiffiffiffiffiffiffiffiffiffi
Gme

a3

r
½10�

By definition,M is zero when the satellite is at perigee;
therefore, tp is the time of perigeal passage. Time t0 is
called the epoch time. M0 is called the mean anomaly
true of epoch, that is, the mean anomaly at the epoch
time t0. The angle e is the eccentric anomaly. It is
geometrically related to the true anomaly (Figure 3)
through eqns [11a] and [11b].

cos y ¼ cos e� e
1� e cos e

½11a�

cos e ¼ cos yþ e
1þ e cos y

½11b�

Given a, e, and tp (or M0 and t0), one can calculate r
and y at any time t using eqns [8]–[11].

Orientation in Space

By calculating r and y at time t, we have positioned the
satellite in the plane of its orbit. Nowwemust position
the orbital plane in space. To do this requires the
definition of a coordinate system. This coordinate
systemmust be an inertial coordinate system, that is, a
nonaccelerating system in which Newton’s laws of
motion are valid. A coordinate system fixed to the
rotating Earth is not such a system. We will adopt an
astronomical coordinate system called the right

Apogee
(apofocus)

Focus
Earth

Satellite

Perigee
(perifocus)

�

aa

a� a�

a l_�2

r

Figure 2 Elliptical orbit geometry.
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e �

Figure 3 The geometric relationship between true anomaly (y)
and eccentric anomaly (e).

2026 SATELLITES / Orbits



ascension–declination coordinate system.1 In this
system (Figure 4), the z-axis is aligned with the Earth’s
spin axis. The x-axis is chosen such that it points from
the center of the Earth to the Sun at the moment of the
vernal equinox,when the sun is crossing the equatorial
plane from the Southern Hemisphere to the Northern
Hemisphere.2 The y-axis is chosen so as to make it a
right-handed coordinate system. In this system, the
declination of a point in space is its angular displace-
ment measured northward from the equatorial plane,
and the right ascension is the angular displacement,
measured counterclockwise from the x-axis, of
the projection of the point in the equatorial plane
(Figure 5).

Three angles are used to position an elliptical orbit
in the right ascension–declination coordinate system:
the inclination angle, the right ascension of ascending
node, and the argument of perigee (Figure 6).

The inclination angle (i) is the angle between the
equatorial plane and the orbital plane. By convention,

the inclination angle is zero if the orbital plane
coincides with the equatorial plane and if the
satellite rotates in the same direction as the Earth. If
the two planes coincide but the satellite rotates
opposite to the Earth, the inclination angle is 1801.
Prograde orbits are those with inclination angles less
than 901; retrograde orbits are those with i greater
than 901.
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Figure 4 The right ascension–declination coordinate system.
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Figure 5 Coordinates used in the right ascension–declination

coordinate system: right ascension (O), declination (d), and radius

(r ).

1Because the origin of this coordinate systemmoves about the Sun

with the Earth, it is not truly inertial. However, the Sun’s gravity
causes the satellite to rotate around the Sun as does the Earth.

Therefore, the satellite acts as if the right ascension–declination

coordinate system were inertial.
2This x-axis is also referred to as the First Point of Aries because it

used to point at the constellation Aries. Because of the influence of

the Sun and Moon on the nonspherical Earth, the Earth’s spin axis

precesses like a top with a period of 25 781 years. This causes the

vernal equinox to change. Today, the x-axis points to the
constellation Pisces, but it is still referred to as the First Point of

Aries.
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The ascending node is the point where the satellite
crosses the equatorial plane going north (ascends). The
right ascension of this point is the right ascension of
ascending node ðOÞ. It is measured in the equatorial
plane from the x-axis (vernal equinox) to the ascend-
ing node. In practice, the right ascension of ascend-
ing node has a more general meaning. It is the right
ascension of the intersection of the orbital plane
with the equatorial plane; thus, it is always defined,
not just when the satellite is actually at an ascending
node.

Finally, the argument of perigee ðoÞ is the angle
measured in the orbital plane between the ascending
node (equatorial plane) and the perigee.

Orbital Elements

The parameters just discussed for locating a satellite in
space are collectively known as the classical orbital
elements; they are summarized in Table 1. These
parameters may be determined by optical, radar, or
radio ranging observations. They are carefully deter-
mined by various agencies and are available over the
Internet for most satellites. There is some variation in
how the orbital elements are specified. Some agencies,
for example, substitute true anomaly for mean

anomaly. Also, in less formal descriptions of satellite
orbits, the height of the satellite above the Earth’s
surface is substituted for the semimajor axis. Since the
Earth is not round, the height of a satellite varies
according to its position in the orbit. Such heights are
converted into semimajor axis by adding the equator-
ial radius of the Earth.

Orbits in which the classical orbital elements
(except M) are constant are called Keplerian orbits.
Viewed from space, Keplerian orbits are simple. The
satellite moves in an elliptical path with the center of
theEarth at one focus. The ellipsemaintains a constant
size, shape, and orientation with respect to the stars
(Figure 7). Perhaps surprisingly, the only effect of the
Sun’s gravity on the satellite is to move the focus of the

Table 1 Classical orbital elements

Element Symbol

Semimajor axis a

Eccentricity e
Inclination i

Argument of perigee o0

Right ascension of ascending node O0

Mean anomaly M0

Epoch time t0

Vernal

equinox
x

Ascending
node

Equatorial
plane

y

�

Perigee

Orbit

Earth s
spin
axis
z

Center
of Earth

i

Figure 6 Angles used to orient an orbit in space.

Sun

Figure 7 The change with season of a Keplerian orbit.
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ellipse (the Earth) in an elliptical path around the Sun
(the Earth’s orbit).

Viewed from the earth, Keplerian orbits appear
complicated because the Earth rotates on its axis as the
satellite orbits the Earth (Figure 8). The rotation of
the Earth beneath a fixed orbit results in two daily
passes of the satellite near a point on the Earth
(assuming that the period is substantially less than a
day and that the inclination angle is greater than the
latitude of the point). One pass occurs during the
ascending portion of the orbit; the other occurs during
the descending portion of the orbit. This usuallymeans
that one pass occurs during daylight and one during
darkness.

Orbit Perturbations

Although satellites travel in nearly Keplerian orbits,
these orbits are perturbed by a variety of forces
(Table 2). Forces arising from the last five processes
are small and can be viewed as causing essentially
random perturbations in the orbital elements.
Operationally they are dealt with simply by periodi-
cally (1) observing the orbital elements and (2)
adjusting the orbit with on-board thrusters. Forces
due to the nonsphericity of the Earth cause secular
(linear with time) changes in some of the orbital
elements. These changes can be predicted theoretically
and indeed are useful.

The gravitational potential of the Earth is a
complicated function of the Earth’s shape, the
distribution of land and ocean, and the density of

crustal material. As a first-order correction to a
spherical shape, we may treat the Earth as an oblate
spheroid of revolution. In cross-section, the Earth is
approximately elliptical. The distance from the center
of the Earth to the Equator is, on average,
6378.137 km, whereas the distance to the poles is
6356.752 km.The gravitational potential of the Earth
is given approximately by eqn [12], where ree is the
equatorial radius of the earth, d is the declination
angle, and J2 (1.082 63� 10�3) is the coefficient of the
quadrupole term.

U ¼ �Gme

r

� 1þ 1

2
J2

ree
r

� �2
1� 3 sin2 d
� �þ � � �

� 	
½12�

The higher-order terms are more than two orders of
magnitude smaller than the quadrupole term and will
not be considered here, although they are necessary for
very accurate calculations.

A satellite travels at a slightly different speed in this
gravitationally perturbed orbit. The time rate of
change of the mean anomaly is given by the mean
motion constant ðnÞ in the unperturbed orbit and by
the anomalistic mean motion constant ð�nnÞ in a
perturbed orbit. Considering only the quadrupole
term we have eqn [13].

dM

dt
¼ �nn

¼ n 1þ 3

2
J2

ree
a

� �2
ð1� e2Þ�3=2 1� 3

2
sin2 i

� �� 	
½13�

When the inclination angle is less than 54.71 or
greater than 125.31, �nn is greater than n, and the
satellite orbits faster than it would in an unperturbed
orbit. For inclination angles between 54.71 and
125.31, the satellite orbits more slowly than it
otherwise would.

Figure 8 The orbit of a representative satellite as viewed from a

point rotating with the Earth.

Table 2 Orbit-perturbing forces

Force Source

Nonspherical gravitational field Nonspherical,

nonhomogeneous earth

Gravitational attraction of

auxiliary bodies

Moon, planets

Radiation pressure Sun’s radiation

Particle flux Solar wind

Lift and drag Residual atmosphere

Electromagnetic forces Interaction of electrical

currents in the satellite

with the Earth’s magnetic

field
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The rate of change of the right ascension of
ascending node is given by eqn [14].

dO
dt

¼ ��nn
3

2
J2

ree
a

� �2
ð1� e2Þ�2 cos i

� 	
½14�

The rate of change of the argument of perigee is given
by eqn [15].

do
dt

¼ �nn
3

2
J2

ree
a

� �2
ð1� e2Þ�2 2� 5

2
sin2 i

� �� 	
½15�

The other three orbital elements, a, e, and i, undergo
small, oscillatory changes that may be neglected.

The anomalistic period of a perturbed orbit is
simply that given by eqn [16].

�TT ¼ 2p
�nn

½16�

However, because M is measured from perigee, the
anomalistic period is the time for the satellite to travel
from perigee to moving perigee. Of more use is the
synodic or nodal period, ~TT, which is the time for the
satellite to travel from one ascending node to the next
ascending node. An exact value of ~TT must be
calculated numerically; however, eqn [17] holds to
very good approximation.

~TT ¼ 2p
�nnþ ðdo=dtÞ ½17�

In summary, the first-order effects of the nonspherical
gravitational potential of the Earth consist of a slow,
linear change in two of the classical orbital elements,
the right ascension of ascending node and the
argument of perigee, and a small change in the mean
motion constant. Table 3 shows orbital elements for
some representative satellites.

Meteorological Satellite Orbits

Nearly all meteorological satellites are in one of two
orbits, Sun-synchronous or geostationary, but other
orbits are also useful.

Sun-Synchronous Orbits

As shown in Figure 7, in a Keplerian orbit the angle
between the Sun and the plane of a satellite’s orbit
changes because the orbital plane is fixed while the
Earth rotates around the Sun. This causes the satellite
to pass over an area at different times of the day. For
example, if the satellite passes over near noon (1200)
and midnight (2400) in the spring, it will pass over
near 0600 and 1800 in the winter. Fortunately, the
perturbations caused by the nonspherical earth can be

employed to keep the Sun–Earth–satellite angle nearly
constant.

The Earth makes one complete revolution about
the Sun (2p radians) in one tropical year
(31556925.9747 s). Thus, the right ascension of the
Sun changes at the average rate of 1.991064� 10� 7 rad
s� 1 (0.98564731day� 1). If the inclinationof the satellite
is correctly chosen, the right ascension of its ascending
node can be made to precess at this rate. An orbit that is
so synchronizedwith theSun is calledaSun-synchronous
orbit. For a satellite with a semimajor axis of 7221km
and zero eccentricity, eqn [14] requires an inclination of
98.751 to be Sun-synchronous. Figure 9 shows the
change with season of a Sun-synchronous orbit.

The subsatellite point is the point on the Earth’s
surface that is directly between the satellite and the
center of the Earth. The ground track of a satellite is
the path of the subsatellite point. Figure 10 shows the
ground track for three orbits of the Sun-synchronous
NOAA 11 satellite.

Geostationary Orbits

Earlier we calculated the radius of a geosynchronous
orbit to be 42 164 km. Perturbations due to the
nonspherical Earth, however, require a slight adjust-
ment in this figure. The adjustment is small because the
radius of geosynchronous orbit is about 6.6 Earth radii
and the correction terms are inversely proportional to
the square of this ratio. For a geosynchronous orbit
with zeroeccentricityandzero inclination, eqns [6], [13],
[15], and [17] require a semimajor axis of 42166.3km.

The terms geosynchronous and geostationary are
often used interchangeably. In fact, they are not the
same. Geosynchronous means that the satellite orbits
with the same angular velocity as the Earth. A
geostationary orbit is geosynchronous, but it is also
required to have zero inclination angle and zero
eccentricity. Geostationary satellites, therefore,
remain essentially motionless above a point on the
Equator. They are classified by the longitude of their
subsatellite point.

Second-order perturbations cause a geostationary
satellite to drift from the desired orbit. Periodic
maneuvers, performed as frequently as once a week,
are required to correct the orbit. These maneuvers
keep operational geostationary satellites very close to
the desired orbit.

Figure 11 shows the ground track of a typical
geostationary satellite.

Other Orbits

Geostationary and Sun-synchronous are only two of
an infinity of possible orbits.Others have been andwill
become useful for meteorological satellites.
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The Earth Radiation Budget Satellite (ERBS) was
launched from the Space Shuttle and orbits at an
altitude of 600 km with an inclination angle of 571. It
was placed in this orbit so that it would precess with
respect to the Sun and sample all local times over the
course of a month.

Meteor satellites fly in low Earth orbit with
inclination angles of about 821. Molniya communica-
tions satellites fly in highly elliptical orbits. It has been
suggested that this orbit would be useful for meteo-
rological observations of the high latitudes. The
Molniya orbit has an inclination angle of 63.41, at
which the argument of perigee is motionless; thus, the
apogee, fromwhichmeasurements aremade, stays at a
given latitude. The semimajor axis is chosen such that

the satellite makes two orbits while the Earth turns
once with respect to the plane of the orbit. The
eccentricity is made as large as possible so that the
satellite will stay near apogee longer. However, the
eccentricity must not be so large that the satellite
encounters significant atmospheric drag at perigee. A
semimajor axis of 26 554 km and an eccentricity of
0.72 result in a perigee of 7378 km (1000 kmabove the
Equator), an apogee of 45 730 km (39 352 km above
the Equator), and a period of 717.8min.The attrac-
tiveness of this orbit is that it functions as a high-
latitude, part-time, nearly geostationary satellite. For
about 8 h centered on apogee, the satellite is synchro-
nizedwith theEarth so that it is nearly stationary in the
sky. For a meteorological satellite in a Molniya orbit,
the rapid imaging capability, which is so useful from
geostationary orbit, would be available in the high
latitudes.

As meteorological satellite instruments become
more specialized, more custom orbits are likely to be
used.

Satellite Positioning, Tracking,
and Navigation

It is important to be able to calculate the position of a
satellite in space, to track it from Earth, and to know
where its instruments are pointing. These topics are
discussed in turn in this section.

Positioning in Space

To locate a satellite in a perturbed orbit at time t, one
needs current values of the orbital elements. The three
constant elements, a, e, and i, are taken directly from a
recent bulletin. Such bulletins are available from a
variety of sources, and many are available on the
Internet. The other three, M, O, and o, are calculated

Sun

Figure 9 The change with season of a Sun-synchronous orbit.

Figure 10 The ground track of a typical Sun-synchronous satellite (three orbits of NOAA 15).
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according to eqns [18a], [18b], and [18c]

M ¼ M0 þ dM

dt
ðt � t0Þ ½18a�

O ¼ O0 þ dO
dt

ðt � t0Þ ½18b�

o ¼ o0 þ do
dt

ðt � t0Þ ½18c�

Next, the satellite is located in the plane of its orbit;
that is, the true anomaly y and the radius r are
calculated. This is done by (1) solving for e using
Kepler’s equation [9]; (2) calculating yusing eqn [11a];
and (3) calculating rusing eqn [8]. (For a circular orbit,
this step is simplified because the mean anomaly, the
eccentric anomaly, and the true anomaly are identical,
and r is constant.)

A vector can now be constructed that points
from the center of the Earth to the satellite in the
right ascension–declination coordinate system. The
Cartesian coordinates of this vector are given by
eqn [19].

x
y
z

0
@

1
A ¼

r cos y
r sin y

0

0
@

1
A ½19�

At this point, the orbital ellipse is assumed to lie in the
x�y plane (the equatorial plane) with the perigee on
the positive x-axis (Figure 12A).

In the next three steps, the vector is rotated so that
the orbital plane is properly oriented in space. First,
the vector is rotated about the z-axis through the

argument of perigee (Figure 12B). This rotation is
conveniently accomplished by multiplying the vector
by a rotation matrix (eqn [20]).

x0

y0

z0

0
B@

1
CA ¼

cos o � sin o 0

sin o cos o 0

0 0 1

0
B@

1
CA

x

y

z

0
B@

1
CA

¼
x cos o� y sin o

x sin oþ y cos o

z

0
B@

1
CA

½20�
Second, the vector is rotated about the x-axis through
the inclination angle (Figure 12C) as in eqn [21].

x0 0

y0 0

z0 0

0
B@

1
CA ¼

1 0 0

0 cos i � sin i

0 sin i cos i

0
B@

1
CA

x0

y0

z0

0
B@

1
CA

¼
x0

y0 cos i� z0 sin i

y0 sin iþ z0 cos i

0
B@

1
CA

½21�

Third, the vector is rotated about the z-axis through
the right ascension of the ascending node (Figure 12D)
as in eqn [22].

x0 0 0

y0 0 0

z0 0 0

0
B@

1
CA ¼

cosO � sinO 0

sinO cosO 0

0 0 1

0
B@

1
CA

x0 0

y0 0

z0 0

0
B@

1
CA

¼
x0 0 cosO� y0 0 sinO
x0 0 sinOþ y0 0 cosO

z0 0

0
B@

1
CA

½22�

The vector ðx0 0 0; y0 0 0; z0 0 0Þ is the location of the satellite
in the right ascension–declination coordinate system
at time t. This vectormay be converted into the radius,
declination, and right ascension of the satellite
through eqns [23a], [23b], and [23c].

rS ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
x0 0 02 þ y0 0 02 þ z0 0 02

p
¼ r ½23a�

dS ¼ sin�1 z0 0 0

rS

� �
½23b�

OS ¼ tan�1 y0 0 0

x0 0 0

� �
½23c�

Finally, it is useful to calculate the latitude and
longitude of the subsatellite point. Assuming that the
Earth is a sphere, the latitude (known as the geocentric
latitude) is simply equal to the declination (eqn [24]).

Geocentric latitude ¼ jS ¼ dS ½24�

0.3 N

0.2 N
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Figure 11 The ground track of a typical geostationary satellite

(ten orbits of GOES 8).
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Formore precise measurements, the latitude corrected
for the nonspherical shape of Earth (the geodetic
latitude) is usually used (eqn [25]).

Geodetic latitude ¼jg

¼ tan�1 ree
rep

� �2

tan dS

" #
½25�

where rep is the polar radius of the Earth. The
longitude of the subsatellite point ðlsÞ is the difference
between the right ascension of the satellite and the
right ascension of the prime meridian (01 longitude),
which passes throughGreenwich, England (Figure 13)
(eqn [26]).

lS ¼ OS � OGreenwich ½26�
The right ascension of Greenwich is given in some
satellite bulletins, and it can be calculated from eqn
[27], whereDt is the time difference in days from 0000
UTC 1 January 2000.

OGreenwich ¼ 99:9643	 þ 360:9856376	Dt ½27�
Since the rotation rate changes very slightly, owing to
the actions of the wind and ocean currents, eqn [27]
must be updated periodically.

The inverse problem of finding when a satellite
passes over (or close to) a particular point is solved
iteratively by (1) estimating the time, (2) calculating
the position of the satellite, and (3) correcting the time
estimate. Steps 2 and 3 are repeated until a satisfactory
solution is found.

The above method can be streamlined in two
ways. First, some of the rotations can be combined.
Start as above by updating the orbital ele-
ments and calculating rS and y at time t. Locate the
satellite on the x-axis at distance rS from the

y
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�
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Figure12 Rotationsused to positiona satellite in its orbit: (A) the satellite in theplaneof its orbit; (B) rotation about the z-axis through the

argument of perigee (o); (C) rotation about the x -axis through the inclination angle ðiÞ; and (D) rotation about the z-axis through the right

ascension of ascending node (O).

Satellite North
pole

Vernal
equinox

Greenwich
Sat

Lo
ng

itu

de

Prime
meridian

Figure 13 The relationship between Earth longitude and right

ascension.
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center of the Earth (eqn [28]).

x
y
z

0
@

1
A ¼

rS
0
0

0
@

1
A ½28�

Define G, the argument of latitude, to be the angle,
measured in the orbital plane, from the ascendingnode
to the satellite as in eqn [29], where y is the true
anomaly and o is the argument of perigee.

G ¼ yþ o ½29�
Rotate this vector about the z-axis through the
argument of latitude. Rotate again about the x-axis
through the inclination angle. Finally, rotate about the
z-axis through an angle equal to the right ascension of
the satellite less the right ascension of Greenwich.
Equations [23] now yield rS, latitudejS, and longitude
lS. This method is useful for the navigation problem
discussed below.

A second way to streamline these equations is
to combine them, which results in eqns [30a], [30b],
and [30c].

rS ¼ r ½30a�

jS ¼ dS ¼ sin�1 ðsin G sin iÞ ½30b�

lS ¼ tan�1 sin G cos i

cos G

� �
þ O0 � Oeðt0Þ

� dOe

dt
� dO

dt

� �
ðt � t0Þ ½30c�

Here rs is the distance of the satellite calculated with
eqn [8]; jS and lS are its latitude and longitude,
respectively.Oeðt0Þ is the right ascension ofGreenwich
at the epoch time, and therefore, O0 � Oeðt0Þ is the
longitude of ascending node at the epoch time. The
quantity ðdOe=dt � dO=dtÞ is the relative Earth rota-
tion rate, that is, the rotation rate of the Earth relative
to the orbital plane.

Tracking

A list of time versus position of a celestial body is called
an ‘ephemeris’ (plural: ephemerides). To track a
satellite, one must be able to point one’s antenna at
it. The elevation angle, measured from the local
horizontal, and the azimuth angle, measured clock-
wise from the north, can be calculated from the
ephemeris data as follows.

Suppose the subsatellite point is at latitude jS and
longitude lS, and that the satellite is at radius rS from
the center of theEarth. Suppose also that the antenna is
located at latitude je, longitude le, and radius re (the

radius of the earth). The Cartesian coordinates of the
satellite are then given by eqn [31].

rS ¼
xS
yS
zS

0
@

1
A ¼

rS cos jS cos lS
rS cos jS sin lS

rS sinjS

0
@

1
A ½31�

The Cartesian coordinates of the antenna are given by
eqn [32].

re ¼
xe
ye
ze

0
@

1
A ¼

re cos je cos le
re cos je sin le

re sin je

0
@

1
A ½32�

The difference vector rD � rS � re points from the
antenna to the satellite (Figure 14). Assuming a
spherical earth, the vector re points to the local vertical
(Figure 15). The cosine of the satellite’s zenith angle z
(the complement of the elevation angle) is given by
eqn [33].

cos z ¼ re � rD
rej j rDj j ½33�

Finding the azimuth angle is a little more difficult.
First, we need to find two vectors in the tangent plane
at the antenna. The first points north (eqn [34]).

rN ¼
xN
yN
zN

0
@

1
A ¼

� sin jN cos lN
� sin jN sin lN

cos jN

0
@

1
A: ½34�

The second is the horizontal projection of rD. We
define unit vectors in the directions of re and rD as in
eqns [35a] and [35b].
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Figure 14 Satellite tracking geometry.
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r̂re � re
jrej ½35a�

r̂rD � rD
jrDj ½35b�

The required horizontal vector is given by eqn [36].

rH ¼ rD � ðr̂re � rDÞ r̂re ¼ rD � jrDj cos z r̂re
¼ jrDj ð̂rrD � cos z r̂reÞ

½36�

The azimuth angle c is then given by eqn [37].

cos c ¼ rN � rH
jrNj jrHj ½37�

One must be careful when taking the inverse cosine. If
the satellite is west of the antenna, c will be greater
than 1801. It must also be noted that these equations
assume a spherical Earth. Fortunately, most receiving
antennas are insensitive to the slight errors that this
assumption causes.

Navigation

In addition to knowing where a satellite is in its orbit,
it is necessary to know the Earth coordinates
(latitude, longitude) of the particular scene it is
viewing. The problem of calculating the Earth
coordinates is known as the navigation problem;
fundamentally, it is a complex geometry problem. It
requires an accurate knowledge of where the satellite
is in its orbit, the orientation of the satellite (its
attitude), and the scanning geometry of the instrument
involved.

Suppose that at a particular time a satellite is at
position ðxS; yS; zSÞ with respect to the center of the
Earth in the right ascension–declination coordinate
system. Suppose further, that the telescope is pointing
in a direction specified by declination dT and right
ascension OT. A unit vector in the direction in which

the telescope is pointing is given by eqn [38].

xT
yT
zT

0
@

1
A ¼

cos dT cos OT

cos dT sin OT

sin dT

0
@

1
A ½38�

Figure 16 shows that the ray from which the telescope
receives radiation (that is, the line in space through the
satellite and in the direction of the telescope) is given
by eqn [39],

x
y
z

0
@

1
A ¼

xS þ sxT
yS þ syT
zS þ szT

0
@

1
A ½39�

where s is the distance from the satellite.
The location at which this ray strikes the spherical

Earth is the solution of eqn [40].

ðxS þ sxTÞ2 þ ðyS þ syTÞ2 þ ðzS þ szTÞ2 ¼ r2e ½40�
This is a quadratic equation in s that has no real roots if
the ray does not intersect the Earth or two real roots if
it does. The smaller root is to be chosen; the larger root
represents the location from which the ray re-emerges
from the opposite side of the Earth. When the ray is
just tangent to the Earth, the two roots are equal. After
a solution for s has been found, eqn [39] gives the
Cartesian coordinates in the right ascension–declina-
tion coordinate system of the point on the Earth’s
surface being viewed.

One way to specify the telescope pointing vector is
to use the pitch, roll, and yaw angles familiar from
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Figure 15 Definition of zenith angle (z) and azimuth angle (c).
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aircraft flight. Position the satellite on the positive
x-axis at distance rS from the center of the Earth. Let
the satellite be traveling in the x�y plane with
the positive z-axis on the left; that is, the satellite
is traveling eastward in the equatorial plane.
Orient the satellite so that its ‘nose’ is pointing in
the ŷy-direction (not parallel to the velocity vector),
the left ‘wing’ is pointing in the ẑz-direction, and ‘up’
is in the x̂x-direction. Let the telescope begin by
pointing straight down toward the center of
the Earth, that is in the direction given by
eqn [41].

xT
yT
zT

0
@

1
A ¼

�1
0
0

0
@

1
A ½41�

Pitch is defined as the angle of rotation about the z-
axis; positive is in the sense of the nose pointing up.3

The matrix that accomplishes this rotation is given in
eqn [42].

Pitch rotationmatrix ¼
cos P � sin P 0
sin P cos P 0
0 0 1

0
@

1
A
½42�

A positive pitch angle causes the telescope to point in
the along-track direction ahead of the subsatellite
point.

Roll is defined as the angle of rotation about the y-
axis; positive is in the sense of the leftwingpointingup.
The matrix that accomplishes this rotation is given in
eqn [43].

Roll rotationmatrix ¼
cos R 0 � sin R
0 1 0

sin R 0 cos R

0
@

1
A
½43�

Apositive roll angle causes the telescope to point in the
cross-track direction, to the left of the subsatellite
point.

Yaw is defined as the angle of rotation about the x-
axis; positive is in the sense of the nose pointing right.
The matrix that accomplishes this rotation is given in
eqn [44].

Yaw rotationmatrix ¼
1 0 0
0 cos Y � sin Y
0 sin Y cos Y

0
@

1
A
½44�

A nonzero yaw angle does nothing to a telescope
pointing straight down; however, if the pitch or roll
angles are nonzero, a positive yaw angle moves the
telescope in a clockwise direction around the sub-
satellite point.

Common scanning schemes can easily be described
with these angles. A cross-track scanner can be
described by a roll angle that increases linearly in
time (right-to-left scanning) or decreases linearly in
time (left-to-right scanning). A conical scanning
instrument can be described by a constant pitch angle
followed by a yaw angle that increases linearly in time
(for clockwise scanning). Finally, a geostationary
scanner can be described by a stepped roll angle
followed by a pitch angle that increases (west-to-east
scanning) or decreases (east-to-west scanning) with
time. Corrections in the pitch, roll, and yaw angles
need to be applied if the satellite is not aligned as
indicated above.

After the appropriate pitch, roll, and yaw rotations
have been applied to the initial telescope pointing
vector (eqn [41]), eqn [40] yields the distance to
the point being observed, and eqn [39] yields the
coordinates of the point in the right ascension–
declination coordinate system. Now, both the
observed point and the satellite can be positioned by
(1) rotating the vectors about the z-axis through the
argument of latitude, (2) rotating about the x-axis
through the inclination angle, and (3) rotating about
the z-axis through the right ascension of ascending
node less the right ascension of Greenwich. Equations
[23] yield the latitude and longitude of the point.
Finally, corrections may need to be applied for the
nonspherical Earth and for the height of the terrain or
the object being observed.

The inverse problem, that of finding which satellite
datum corresponds to a selected latitude and long-
itude, is solved iteratively. Each observation has a
time associated with it, which determines all of
the above angles. First, a time of observation is
estimated, and the latitude and longitude of the
point being observed at that time are calculated.
Then the time is incremented and a new point is
calculated. This process is iterated until a satisfactory
solution is found.

Space–Time Sampling

To select an orbit for a satellite or a scan pattern
for a particular instrument, several questions must
be answered: What areas will the orbit and scan
pattern allow the instrument to observe? How
often will an area be observed? At what local
times will the observations be made? At what
viewing zenith andazimuthangleswill the observations

3Note that the axes of rotation described here are dependent on
the satellite beingat the specifiedpositionandorientation in the right

ascension–declination coordinate system.
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be made? What will be the solar zenith and azimuth
angle when the area is being observed? These
questions are all aspects of what is called space–time
sampling. Using the equations in this article plus some
easily acquired equations that describe the position of
the Sun, these questions can be answered.

See also

Observations for Chemistry (Remote Sensing):
IR/FIR; Microwave. Satellite Remote Sensing: Aerosol
Measurements; Cloud Properties; GPS Meteorology;
Precipitation; Surface Wind; TOMS Ozone; Temperature
Soundings; Water Vapor; Wind, Middle Atmosphere.
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Introduction

The atmosphere changes chemically and physically on
widely varying time scales – ranging from minutes to
decades – and is therefore a challenge to measure
precisely over the entire globe. But with the National
Aeronautics and SpaceAdministration’s (NASA)1960
launch of the Television InfraredObservation Satellite
(TIROS), Earth scientists began a new mission to
observe large-scaleweather patterns from space. In the
late 1970s, their mission expanded to include global-
scale measurements that would help them understand
the causes and effects of longer-term climate change.
NASA and its affiliated agencies and research institu-
tions collaborated to develop a series of research
satellites that have enabled the testing of new remote
sensing technologies that in turn have advanced
scientific understanding of both chemical and physical
changes in the atmosphere. (‘Remote sensing’ involves
the use of devices other than our eyes to observe or
measure things from a distance without disturbing the
intervening medium.) The goal is to examine our
world comprehensively to determine what dynamics
drive Earth’s climate system and how climate change
both affects our environment and is affected by it.

Depending upon their measurement objectives,
research satellites primarily fly in one of two orbits:
(1) a near-polar, Sun-synchronous orbit to allow their

sensors to observe the entire globe at the same solar
time each day, or (2) a mid-inclination, precessing
orbit to focus their sensors on the equator and lower
latitudes where the observations are made at different
times of day to better sample time-varying phenomena
such as clouds. Some polar orbiting satellite sensors
can observe any given place on the globe as often as
every day, thus collecting data with high temporal
(time) resolution. Other satellite sensors view any
given place as infrequently as once every 16 days, thus
having relatively low temporal resolution for a satel-
lite sensor, but still far surpassing our ability to make
these same measurements with surface-based or
aircraft sensors. Satellite sensors with high spatial
resolution (15 meters per pixel) can discern objects in
the atmosphere or on the surface as small as, say, a
football field, thus providing high spatial resolution.
Other satellite sensors that are designed to measure
continental and global-scale dynamics typically have
only moderate (500m per pixel) to low (20 km per
pixel) spatial resolution. Satellite sensors carry spe-
cially designed detectors that are particularly sensitive
to certain wavelengths of the electromagnetic spec-
trum, called spectral bands. The more precisely a
remote sensor can measure narrow bands of radiant
energy, and the greater the number of these discrete
bands it can measure, the higher is its spectral
resolution. The atmosphere interacts with solar radi-
ation much like a venetian blind – selectively absorb-
ing and reflecting certain wavelengths of solar energy
while allowing others to pass through. Satellite remote
sensors are designed to be particularly sensitive to
those wavelengths that can be reflected or emitted
back up through the atmosphere to space, thus
enabling them to make their measurements.

2038 SATELLITES / Research (Atmospheric Science)



Earth-orbiting remote sensors provide the best
means of collecting the data needed in research
because they can measure things on scales of time
and space that otherwise would not be possible.
Moreover, satellite sensors not only observe wave-
lengths of visible light; they also precisely measure
wavelengths of radiant energy that the eye cannot see,
such as microwaves, ultraviolet rays, or infrared light.
If it is known how certain objects (like cirrus clouds or
windblown dust) typically absorb, reflect, and emit
particular wavelengths of radiant energy, then by
using satellite sensors to precisely measure those
specific bands of the electromagnetic spectrum, a lot
can be learnt about the Earth’s atmosphere and
surface. Remote sensors allow us to observe and
quantify key climate and environmental vital signs
such as temperature, ozone concentrations, carbon
monoxide, and other pollutants, water vapor and
other greenhouse gases, cloud types and total cloud
cover, aerosol types and concentrations, radiant ener-
gy fluxes, and many more.

Balancing Earth’s Radiant Energy
Budget

Climate is defined as the average state of the atmos-
phere, hydrosphere, and land over a given time. Thus,
measurements of radiant energy within Earth’s atmos-
phere are at the heart of the climate change discussion.
How climate changes is related directly to how the
planet balances the amount of incoming sunlight with
outgoing radiant energy. The measurement of all
incoming and outgoing energy provides a sort of
ledger of all the physical motions and interactions of
our world’s climate system, showingwhether, over the
course of a year and over the entire globe, the Earth’s
total energy budget is in balance, or not, and if not,
whether it is heating up or cooling down. So if we are
to understand climate and accurately predict future
climate change, then we must determine what drives
the changes within the Earth’s radiation balance
(Figure 1).

In 1978, NASA launched its Nimbus-7 satellite
carrying a new sensor, called the Earth Radiation
Budget (ERB) experiment, designed to measure direct
solar irradiance, reflected short-wave radiation (vis-
ible light), and emitted long-wave radiation (heat)
every day over the entire Earth. This was the first
space-based sensor capable of self-calibrating so that
its total solar irradiance measurements were accurate
towithin�0:5%. TheNimbus-7 ERB collected 9 years
of global-scale data, upon which long-term climate
studies were begun. In the interest of extending the
ERB data set and improving upon its measurement

capabilities, NASA launched three more Earth Radi-
ation Budget Experiments (renamed ERBE) in the
1980s.

In addition to total solar irradiance, ERBE meas-
ured the reflected solar and emitted thermal radiation
from the Earth–atmosphere–ocean system. These
observations revealed that over the course of a year
the global radiation budget is in balance – the Earth
reflects and emits roughly the same amount of energy
back into space that it receives from the Sun. The data
showed also that the average annual, global contribu-
tion by clouds is that they reflect 17Wm� 2 more
short-wave energy (visible light) than they trap as
long-wave energy (heat). Yet, owing to calibration
uncertainties, deficiencies in ERBE’s sampling meth-
od, and the limitations of existing angular dependence
models, there still exists a significant uncertainty
(about 75Wm� 2) regarding our understanding of
Earth’s radiation budget. Part of this uncertainty lies in
our limited knowledge of the spatial distribution of
clouds as well as the optical properties of these clouds
over time. Moreover, we cannot be sure how the
distribution and optical properties of clouds will
change over time. The endeavor to address these
issues began with the 1997 launch of the Clouds and
the Earth’s Radiant Energy System (CERES) sensor
aboard the joint NASA/NASDA Tropical Rainfall
Measuring Mission (TRMM) satellite. Twin CERES
instruments were also launched aboard NASA’s Terra
satellite in December 1999, and the pair will again fly
aboard NASA’s Aqua satellite in May 2002. Many of
the sampling and accuracy limitations on ERBE were
addressed in the design of CERES so that it couldmeet
the same measurement objectives as those for ERBE
but with better than twice the former sensor’s accu-
racy. Ultimately, it is anticipated that CERES will not
only extend the ERBEdata set butwill also provide the
first long-term global measurements of the radiative
fluxes within the Earth’s atmosphere that will help us
more accurately account for the effects of aerosols and
clouds on climate.

Dust in the Wind

Aerosols are tiny particles suspended in the air (mostly
in the troposphere). Some come from natural sources,
such as volcanic eruptions, dust storms, forest and
grassland fires, living vegetation, and sea spray. About
11% of the total emitted aerosols in our atmosphere
come from human activities, such as the burning of
vegetation and fossil fuels and changing the natural
land surface cover, which again leads to windblown
dust. Yet human-produced aerosols account for about
half of the total effect of all aerosols on incoming
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sunlight. From a satellite’s perspective, aerosols
raise the Earth’s albedo, or make it appear brighter,
by scattering and reflecting sunlight back to space.
The overall effect of these tiny particles is to cool
the surface by absorbing and reflecting incoming
solar radiation. They also serve as cloud con-
densation nuclei, or ‘seeds’ for cloud formation,which
again helps to cool the surface. In terms of their net
influence on global climate, for scientists aerosols
represent the greatest subject of uncertainty. Yet
computer climate models estimate that over the last
century human-produced aerosols have offset global
warming due to greenhouse gases by about 40%
(Figure 2).

Through the 1980s and most of the 1990s, the
NOAA Advanced Very High-Resolution Radiometer
(AVHRR)was themost frequently used satellite sensor
for measuring aerosol optical thickness. (Aerosol
optical thickness is a measure of how much sunlight

airborne particles prevent from traveling through a
column of atmosphere.) However, AVHRR can only
make suchmeasurements over the ocean, as the sensor
requires a relatively uniform and dark-colored back-
ground. Because TOMS is particularly sensitive to
absorbing aerosols, over both land and ocean, this
sensor has also been widely used to measure aerosol
optical thickness. In April 1991, the European Space
Agency launched a new type of multi-angle sensor,
called the Along Track Scanning Radiometer (ATSR),
aboard their first European Remote Sensing Satellite
(ERS-1). The ATSR makes aerosol optical thickness
measurements by remotely sensing visible and near-
infrared wavelengths at nadir and oblique forward
scan angles (both within a 2-minute interval). A
modified version of the sensor, called the Advanced
Along Track Scanning Radiometer (AATSR), was
launched in 1995 aboard ERS-2. While data from
neither of thesemissions have yet been used to produce
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Figure 1 Global reflected shortwave radiation and emitted longwave radiation escaping the top of Earth’s atmosphere, measured by

CERES on 25 May 2001.

2040 SATELLITES / Research (Atmospheric Science)



global-scale aerosol measurements, this should be
possible.

In 1996, Japan launched the first in its series of
Advanced Earth Observation Satellites (ADEOS),
which carried a payload of two sensors – the Polari-
zation and Directionality of the Earth’s Reflectances
(POLDER) sensor, contributed by the French Space
Agency, and the Ocean Color and Temperature
Scanner (OCTS), provided by NASDA. Both sensors
can retrieve aerosol measurements, but POLDER was
the first satellite sensor designed specifically to meas-
ure aerosols, and it can make its measurements over
both land and ocean. The sensor observes Earth
targets from 12 directions that enable measurements
of the bidirectionality and polarization of solar radi-
ation reflected from within the atmosphere. Unfortu-
nately, owing to its solar panel failing, the ADEOS
mission ended prematurely after only 8 months in
orbit.

Three sensors aboard NASA’s Terra satellite
are particularly well suited for studying the effects
of aerosols on climate: CERES, MISR, and
MODIS. The Global Imager (GLI) planned for
launch aboard ADEOS II offers aerosol measure-
ment capabilities similar to those of MODIS.
Both these sensors have the capacity to measure
not only aerosol optical thickness but also the
sizes of aerosol particles over both ocean and land.
Particle size is an indicator of the source of the
aerosol particles and helps scientists distinguish
aerosols of natural origin from those that are
man-made. Moreover, with its nine different look
angles, MISR is ideally designed to quantify the
reflective properties. Again, CERES complements
MODIS and MISR by providing measurements of
the short-wave radiation that aerosols reflect back into
space. Together, these sensors are providing new
insights into the roles of clouds and aerosols in Earth’s
total energy budget.

Abstract Art or Arbiters of Energy?

More than just the idle stuff of daydreams, clouds help
control the flow of radiant energy around our world.
Clouds are plentiful and widespread throughout
Earth’s atmosphere – covering up to 75% of our planet
at any given time – so they play a dominant role in
determining how much sunlight reaches the surface,
howmuch is reflected back into space, how andwhere
warmth is spread around the globe, and how much
heat escapes from the surface and atmosphere back
into space. Clouds are also highly variable. Clouds’
myriad variations through time and space make them
one of the greatest areas of uncertainty in the under-
standing and prediction of climate change. In short,
they play a central role in the world climate system.
Whereas thick, low-level stratocumulus clouds cool
the Earth’s surface by reflecting incoming solar radi-
ation, thin, high-level cirrus clouds exert a warming
influence by allowing sunlight to pass throughbut then
trapping the heat emitted by the surface. The question
of whether warming or cooling has the greater effect
over time has been answered only relatively recently.
From ERBE satellite data collected in the 1980s,
coupled with aircraft and surface-based measure-
ments, it has been demonstrated that, globally, clouds
cool the surfacemore than theywarm it. So great is the
cooling effect that it is as if clouds remove the heat of a
60-watt light bulb from every 2-meter square of the
Earth’s surface. But will they continue to cool our
planet over the next century if a greenhouse-gas-
driven global warming scenario comes to pass? Or
even, could the type and distribution of clouds change
so that they primarily exert a warming influence?
(Figure 3).

Two new sensors flying aboard NASA’s Terra
satellite, launched in December 1999, are designed
to help scientists answer these questions. The Moder-
ate-resolution Imaging Spectroradiometer (MODIS)

0.8

0.0

0.6

0.4

0.2

Figure 2 Global aerosol optical thickness measured by MODIS in April 2001.
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and the Multi-angle Imaging Spectroradiometer
(MISR) give scientists new capabilities for measuring
the structure and composition of clouds. MODIS
observes the entire Earth almost every day in 36
spectral bands, ranging from visible to thermal infra-
red wavelengths.With spectral and spatial resolutions
superior to that of AVHRR (its heritage sensor),
MODIS can measure a wide suite of clouds’ physical
and radiative properties. Specifically, MODIS can
determinewhether a cloud is composed of ice or water
particles (or some combination of the two), it can
measure the effective radius of the particles within a
cloud, it can observe how much (or little) sunlight
passes through a cloud, and it can measure the
temperature and altitude of cloud tops. Moreover,
with its unique 1.38 mm channel, MODIS observes
thin cirrus clouds with unprecedented sensitivity. This
channel not only enables scientists to quantify the
impact of cirrus clouds on the radiation balance, but
also permits image analysts to ‘correct’ for the
presence of cirrus in remote-sensing scenes used to
examine surface or lower-level features.

Complementing MODIS, the MISR instrument
‘sees’ the Earth simultaneously in red, green, blue,
and near-infrared wavelengths at 9 different angles –
at 4 progressively more oblique angles ahead of
Terra, 4 angles aft of the satellite, and 1 at nadir.
Because it measures any given scene from multiple
angles, MISR is ideally designed to help scientists
better understand how clouds interact with radiant
energy as a function of both their structure and their
type. CERES complements MODIS and MISR by
providing measurements of the short-wave and long-
wave radiant energy that clouds reflect and emit back
into space.

ESA’s next-generation satellite missions for com-
prehensively examining Earth’s climate system began
with the February 2002 launch of its first Environ-
mental Satellite (Envisat). Similar to MODIS in the
scope of its research applications, Envisat carries the

Medium-Resolution Imaging Spectrometer (MERIS).
Like Terra’s MODIS, MERIS has a wide viewing
swath (1500 km), with a morning equatorial crossing,
and it can see the entire Earth within every 3 days.
Scientists are using its data to derive cloud cover, cloud
altitude, water vapor, and aerosol properties. Unlike
MODIS (which uses a cross-track scan mirror),
MERIS is a push-broom scanner based upon Charge-
Coupled Device (CCD) technologies with gains and
offset settings that can be optimized for observing
specific targets. This is a similar technology to that
used by MISR.

Serendipity and Stratospheric Ozone

In the early 1970s, as Earth scientists intensified their
studies into the possible causes and effects of global
warming, one group of man-made gases in particular
elicited the attention of scientists – the chlorofluoro-
carbons (CFCs). Increasingly, CFCs were being used
by industrial nations in the production of a variety of
commercial products (e.g., refrigerants, aerosol
sprays). The concern is twofold: CFCs are up to 200
times more efficient than carbon dioxide at trapping
heat in the Earth’s atmosphere, and they tend to
remain in the atmosphere up to 120 years once
released. Then, in 1974, two scientists wrote of a
new concern that CFCs could potentially reduce levels
of ozone in the stratosphere, the layer of atmosphere
from 10 to 50 km in altitude. In 1975 the US Congress
asked NASA to develop a ‘comprehensive program of
research, technology, and monitoring of phenomena
of the upper atmosphere’. In particular, Congress’s
intent was to ascertain the ‘health’ of the ozone layer
(Figure 4).

So, in addition to ERB, in 1978 Nimbus-7 carried
two other newNASA sensors designed to measure the
total amount of ozone in a given column of atmos-
phere over the entire globe – the Solar Backscatter
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Figure 3 Global cloud optical thickness measured by MODIS in April 2001.
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Ultraviolet (SBUV) instrument and the Total Ozone
Mapping Spectrometer (TOMS). Sensitive to radiant
energy in the ultraviolet region of the spectrum, these
sensors took advantage of the fact that molecules and
aerosol particles reflect certain wavelengths of ultra-
violet rays while ozone absorbs others at different
levels in the atmosphere. By analyzing the amount of
ultraviolet energy reflected back up to the spacecraft,
researchers could produce profiles of how thick or thin
the ozone was at different altitudes and locations.
Ironically, it wasn’t until October 1985 that a British
team of scientists reported a significant reduction in
ozone over Halley Bay, Antarctica. Using a ground-
based Dobson ozone spectrophotometer, the team
found that the amount of stratospheric ozone there
was about 40% less than it had been the previous year.
Their finding stunned the science community because
it had been expecting anthropogenic ozone depletion
to occur first at upper levels in the stratosphere (30 to
50 km), and so had anticipated that the initial signal of
depletion in a total column of ozone would be weak.
NASA researchers hastily reviewed their TOMS data
and found that it too had detected a dramatic loss of
ozone over all of Antarctica. Why hadn’t they discov-
ered the phenomenon earlier? Actually, the TOMS
Team had noted the instrument measured ozone levels
of less than 180 Dobson Units over Antarctica, but
because these values were so much lower than
expected, they wanted to make sure these were not

erroneous readings. They compared the TOMS meas-
urements with data collected by a Dobson ozone
spectrophotometer located at the South Pole. Unfor-
tunately, the ground-based instrument had been set
improperly and so it had erroneously recorded ozone
levels at around 300 Dobson Units. This puzzled the
TOMSTeam for a while and delayed the public report
of its findings until the team could verify that the
satellite instrument was working fine. The TOMS
Teamwas in the process of producing a report of their
findings when the British Antarctic Survey report was
released.

In the years following the discovery of the ozone
hole, NASA and ESA satellites recorded depleting
ozone levels over Antarctica growing worse with each
passing year. In response, in 1987, 43 nations signed
theMontreal Protocol, in which they agreed to reduce
the use of CFCs by 50% by the year 2000. This
protocol was amended in 1990 to eliminate all CFC
emissions by 2000.

ESA’s second European Remote-Sensing Satellite
(ERS-2) carries a sensor called the Global Ozone
Monitoring Experiment (GOME). GOME is a nadir-
looking sensor with four bands ranging from 240 to
790 nm for measuring backscattered visible and
ultraviolet solar radiation. Since the summer of
1996, ESA has routinely produced 3-day global
measurements of total ozone and nitrogen dioxide
using GOME data.
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Figure 4 Total ozone content from TOMS in the Southern Hemisphere in September during the years 1983, 1987, 1993, and 1997.

Dobson Unit (DU)52.69� 1016molecules cm�2.
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As recently as 1998, both TOMS and GOME data
showed that at its Austral spring low, Antarctic ozone
concentrations had worsened to 80% less than early
1970s levels. Today there is some evidence that the
amount of chlorine in the stratosphere is leveling off. Is
this a scientific success story in the making? Will
stratospheric ozone concentrations return to pre-
1970s levels as the abundance of stratospheric chlo-
rine stabilizes? Only time and continued monitoring
will tell. ESA launched its Environmental Satellite
(Envisat) in February 2002 with a new sensor called
Global Ozone Monitoring by Occultation of Stars
(GOMOS).

Chemistry of Earth’s Atmosphere

Some satellite sensors allow scientists to determine the
chemical content of the Earth’s upper atmosphere
using a technique called solar occultation, in which a
sensor is pointed toward the horizon at sunrise and
sunset to measure the profile of the stratosphere and
mesosphere about 30 times per day. In this way
sensors, such as the Stratospheric Aerosol and Gas
Experiment (SAGE), can determine the presence and
abundance of gases and particulates by measuring
precisely the visible and ultraviolet wavelengths that
are absorbed within the upper atmosphere. Since the
spectra of ozone, nitrogen dioxide, sulfur dioxide, and
certain aerosols are well known, scientists can directly
correlate SAGE’s readings with the presence of these
substances within the stratosphere. The solar occulta-
tion technique is particularly effective because the
sensor is self-calibrating – each occultation event looks

directly at the unattenuated Sun outside the Earth’s
atmosphere just prior to sunset or just following
sunrise. These observations are then compared with
observations of the Sun obtained by looking through
the atmosphere. The direct Sun observations establish
an ongoing baseline of the sensor’s performance.
Adapted from the Stratospheric Aerosol Mission
(SAM II) that flew aboardNimbus 7, the SAGE sensor
is essentially a modified Sun photometer. This kind of
sensor first flew in 1979 aboard NASA’s Applications
ExplorerMission-2 (AEM-2). A subsequent version of
SAGE (SAGE II) was launched aboard ERBS in 1984
and performed well throughout 2002, thus giving a
18-year continuous dataset of upper atmosphere
profile measurements.

In 1991, NASA launched the Upper Atmosphere
Research Satellite (UARS) with a payload of 10
sensors for measuring a wide array of chemical and
physical phenomena in the stratosphere and meso-
sphere (the layers of atmosphere from approximately
10 to 90 km in altitude). Not only did UARS extend
our ability to monitor stratospheric ozone concentra-
tions into the 1990s, but it also provided the first
comprehensive picture of the photochemical processes
involved in ozone destruction. The UARSMicrowave
Limb Sounder (MLS) demonstrated that there is a
direct link between the presence of chlorine, the
formation of chlorine monoxide during winter in the
Southern Hemisphere, and the destruction of ozone
(Figure 5).

UARS carries the first two spaceborne remote wind
sounders ever launched, called the High Resolution
Doppler Imager (HRDI) and the Wind Imaging
Interferometer (WINDII). These sensors measure
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Figure 5 Chlorine monoxide (A) and ozone concentration (B) derived by MLS at approximately 18 km altitude on 30 August 1996. The

highchlorinemonoxidewithin theAntarctic polar vortex in the left-handfigure (redsanddarkpurple shades) is directly associatedwith, and

leads to, a reduced ozone concentration shown in the right-hand figure (light blue and light purple shades).
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winds in the mesosphere through detection of shifts in
airglow emission lines. Additionally, HRDI can detect
daytime stratospheric winds by observing Doppler
shifts in oxygen absorption lines. WINDII and HRDI
gave scientists the first complete global picture of
mesospheric circulation. Together with the Halogen
Occultation Experiment (HALOE) and MLS aboard
UARS, the sensors have enabled researchers to track
the upward transport of water vapor in the tropical
stratosphere. Most atmospheric water vapor origi-
nates from the tropical oceans, where it rises high into
the atmosphere to form towering thunderheads. En-
circling the globe along the equator is an almost
continuous band of thunderheads known as the
Intertropical Convergence Zone (ITCZ), producing
roughly three-quarters of the energy in our atmos-
phere that helps to drive its circulation patterns. Data
from the sensors just mentioned showed that the
tropical tropopause (the gateway from the tropo-
sphere to the stratosphere) air rises into the strato-
sphere through these thunderheads. Once in the
stratosphere, this air moves slowly upward and
outward toward the midlatitudes. Ozone begins to
form as incoming ultraviolet radiation breaks oxygen
molecules (O2) into free oxygen atoms (O) that
quickly bond with other oxygen molecules to form
ozone (O3). Because ozone strongly absorbs certain
wavelengths of ultraviolet radiation, the air begins to
warm, helping to perpetuate the upwardmovement of
the air mass as well as helping to create temperature
gradients for stratospheric winds. UARS data showed
that it takes about 2 years forwater vapor anomalies to
move from the tropopause (at about 17 km) up to the
mid-stratosphere (at about 30 km).

A Canadian instrument launched in 1999 aboard
NASA’s Terra satellite uses gas correlation spectros-
copy to determine the abundance of methane and
carbon monoxide in the troposphere. The Measure-
ments Of Pollution In The Troposphere (MOPITT)
sensor measures emitted and reflected radiance from
the Earth in three spectral bands. As this light enters
the sensor, it passes along two different paths through
onboard containers of carbonmonoxide andmethane.
The different paths absorb different amounts of
energy, leading to small differences in the resulting
signals that correlate directly with the presence of
these gases in the atmosphere. Both methane and
carbon monoxide are byproducts of burning vegeta-
tion as well as fossil fuels. Over the last two decades
levels of methane in the atmosphere have risen at an
average rate of about 1% per year. This is cause for
concern because methane (CH4) is a greenhouse gas
about 30 times more efficient than carbon dioxide at
trapping heat near the surface. Scientific interest in
carbon monoxide (CO) is twofold. First, the gas

controls atmospheric concentrations of oxidants, thus
affecting the ability of the atmosphere to clean itself
from the ongoing generation of harmful tropospheric
ozone frombiomass burning and urban smog. Second,
through chemical reactions within the lower atmos-
phere, carbonmonoxide contributes to the production
of harmful ozone. MOPITT is helping researchers to
identify the main sources of these gases as well as to
improve four-dimensional models of their transport
through the atmosphere.

ESA’s Envisat carries the Scanning Imaging Absorp-
tion Spectrometer for Atmospheric Cartography
(SCIAMACHY), which is an advanced version of
the GOME sensor flying aboard ERS-2. In addition
to the same four spectral channels contained on
GOME (from ultraviolet to visible wavelengths;
240–800 nm), SCIAMACHY has an additional four
channels in the infrared region of the spectrum
(800–2400 nm). While the sensor’s wide spectral
sensitivity makes it useful for cloud and aerosol
research, its ability to view both nadir and the Earth’s
horizon makes it useful for determining the content
and distribution of 16 different trace gases in the
atmosphere.

Where Storm Clouds Gather

Rain clouds form when moisture-laden air is driven
skyward by warm updrafts emitted from a Sun-
warmed land or ocean surface; or when mountain
slopes push moist air aloft; or when a wedge of colder,
denser air plows warmer, moist air upward to higher
elevations. Because cold air cannot hold asmuchwater
vapor as warm air, and because the atmosphere cools
at higher elevations, water vapor condenses readily
into liquid droplet or ice crystal form, in the presence
of seed aerosol particles. Were there no aerosol
particles in the Earth’s atmosphere, there would be
no fog, no clouds, no mist, and probably no rain.
When water evaporates at the surface, it absorbs
energy from its surroundings and stores it as latent
heat. When water vapor condenses back into liquid
or ice form it releases its latent heat into its surround-
ings. Only about 25% of the energy contained
within the atmosphere comes directly from the Sun’s
rays; the remaining 75% comes from the release
of latent heat contained in water vapor, most of
which, as mentioned, is present in the towering
thunderheads of the Intertropical Convergence Zone
(Figure 6).

We cannotmeasure the latent heat containedwithin
clouds. We can, however, measure tropical rainfall.
Currently, there is a 50% uncertainty in estimates of
annual global rainfall. If we are to determine more
accurately how much energy our atmosphere receives
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from latent heat, then we must more accurately
measure rainfall. In 1997, NASDA and NASA jointly
developed and launched the Tropical Rainfall Meas-
uring Mission (TRMM) into a mid-inclination (351)
precessing orbit. It is estimated that about 60% of
precipitation on Earth falls within the band between
301N and 301 S of the Equator. TRMM carries three
instruments designed to measure rainfall – the Precip-
itation Radar (PR), the TRMM Microwave Imager
(TMI), and the Visible and Infrared Scanner (VIRS).
Designed and built by NASDA, the Precipitation
Radar is the first satellite sensor to provide three-
dimensional images of the internal structures of storm
clouds. Its measurements show the intensity and
distribution of rain within a storm, the total height
of a storm, and the elevation at which ice crystals melt
into raindrops. Most importantly, the Precipitation
Radar can measure rain rates to within 0.7mm per
hour. Researchers who expected to use ground-based
Doppler Radar stations to validate TRMM’s Precip-
itation Radar measurements found much to their
pleasant surprise that the latter exceeds most ground-
based measurements in accuracy and spatial resolu-
tion.

The TMI is a ‘passive’ sensor designed to measure
minute amounts of microwave energy emitted by the
Earth’s surface and from within its atmosphere.
(Whereas ‘active’ sensors send pulses of energy and
then measure how much gets absorbed and reflected
by the target, ‘passive’ sensors measure only energy
originating from, or reflected by external sources.)
These measurements allow TMI to quantify the

amount of water vapor, cloud water, and rainfall
intensity within the atmosphere. Based upon the
design heritage of theDefenseMeteorological Satellite
Program’s Special Sensor Microwave/Imager (SSM/I),
the TMI has a wider viewing swath (780 km) and finer
spatial resolution than its predecessors. The TRMM
VIRS detects radiant energy in five spectral bands,
ranging from infrared to visible wavelengths (from
0.63 to 12 mm). Ideally designed to measure temper-
ature, VIRS can precisely determine cloud top tem-
peratures that scientists can then indirectly correlate
with rainfall amounts.

Conclusion

As the preceding sections demonstrate, the Earth’s
atmosphere changes both physically and chemically
over a range of scales of time and space. The
atmosphere’s chemical makeup affects its physical
state, such as its radiative properties. As already
mentioned, the gases and particles in the atmosphere
function much like a venetian blind, selectively
absorbing and reflecting certain wavelengths of solar
radiation while allowing others to pass through
relatively unhindered. In turn, physical processes in
the atmosphere also help determine its chemical
makeup. There was growing consensus through the
1970s and 1980s among Earth scientists that we
needed to take a more holistic approach to global
climate change studies. We saw that nature does not
compartmentalize climate phenomena into discreet

Figure 6 Hurricane Bonnie as observed by the TRMM/PR on 22 August 1998. Red shows intense precipitation, green and yellow hues

are intermediate values, and blues are low values. The eye of the storm reached to 16 km.
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disciplines, and therefore we need to examine the
variables of change as integral parts of the vast,
interconnected web of cause and effect that is Earth’s
climate system. In short, it is not enough to identify
where and when changes occur; we need to understand
howandwhy themechanisms of changework. Satellite
remote sensors offer the only viable means of conduct-
ing a comprehensive examination of our planet.
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Introduction

Sea ice – any form of ice found at sea that originated
from the freezing of sea water – has been among the
least studied of all the phenomena that have a
significant effect on the surface heat balance of the
Earth. Fortunately this neglect has recently lessened as
the result of improvements in observational and
operational capabilities in the polar ocean areas.
Thus considerable information is now available on
the nature andbehavior of sea ice aswell as on its effect
on the weather, the climate, and the oceanography of
the polar regions and possibly of the planet as awhole.

Extent

Considering that the vast majority of Earth’s popula-
tion have never seen sea ice, its areal extent is
extremely impressive; 7% of the surface of the Earth
is covered by it at some time of year. In the Northern
Hemisphere the area varies between 8�106 and
15�106 km2, with the smaller number representing
the area of multiyear (MY) ice remaining at the end of
summer. In summer this corresponds roughly to the
area of the contiguous United States and to twice that
area in winter, or to between 5% and 10% of the
surface of the Northern Hemisphere ocean. At max-
imum extent, the ice extends down the western side of
the major ocean basins paralleling the pattern of cold

currents and reaching the Gulf of St Lawrence (Atlan-
tic) and the Okhotsk Sea off the north coast of Japan
(Pacific). The most southerly site in the northern
hemisphere where an extensive cover forms is the Gulf
of Bo Hai, which is located off the east coast of China
at 401N. At the end of the summer the perennial MY
ice pack of the Arctic is largely confined to the central
Arctic Ocean, with minor extensions into the Cana-
dian Arctic Archipelago and along the east coast of
Greenland.

In the Southern Hemisphere the sea ice area varies
between 3�106 and 20�106 km2, covering between
1.5% and 10% of the ocean surface. The amount of
MY ice in the Antarctic is appreciably less than in the
Arctic, even though the total area affected in the
Antarctic is approximately a third larger than in the
Arctic. These differences are caused largely by differ-
ences in the spatial distributions of land and ocean.
The Arctic Ocean is effectively landlocked to the
south, with only one major exit located between
Greenland and Svalbard. The Southern Ocean, on the
other hand, is essentially completely unbounded to the
north, which allows unrestricted drift of the ice in that
direction and results in the summer melting of nearly
all the previous season’s growth.

Geophysical Importance

In addition to its considerable extent, there are good
reasons to be concerned with the health and behavior
of the world’s sea ice covers. Sea ice serves as
an insulative lid on the surface of the polar oceans.
This suppresses the exchange of heat between the cold
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polar air above the ice and the relatively warm
seawater below. Moreover, the snow cover the ice
surface supports is an even better insulator than the ice
itself. Also, when the sea ice forms with its attendant
snow cover, it changes the surface albedo, a (i.e., the
reflection coefficient for visible radiation) of the sea
from that of open water (a ¼ 0:10) to that of newly
formed snow (a ¼ 0:85). This results in a 75%
decrease in the amount of incoming shortwave
solar radiation absorbed. As a result, there are
inherent positive feedbacks associated with the
existence of a sea ice cover. For instance, if a
climatic warming reduces both the extent and the
thickness of the sea ice then these changes will, in turn,
result in increases in the temperature of the atmos-
phere and of the sea, which will further reduce ice
thickness and extent. This positive feedback is amajor
factor in producing the unusually large increases in
arctic temperatures forecast by numerical models
simulating the effect of the accumulation of green-
house gases.

The presence of an ice cover limits not only the flux
of heat into the atmosphere but also the flux of
moisture. This effect is revealed by the common
presence of linear, local clouds associated with indi-
vidual leads (cracks in the sea ice) that are coveredwith
either openwater or thinner ice. In fact, sea ice exerts a
significant influence on the radiative energy balance of
the complete atmosphere–sea ice–ocean system. For
example, as the ice thickness increases in the range
0–70 cm, there is an increase in the radiation absorp-
tion in the ice and a decrease in the ocean. There is also
a decrease in the radiation adsorption by the total
atmosphere–ice–ocean system. It is now also known
that the upper 10 cm of the ice can absorb over 50%of
the total solar radiation, and that decreases in ice
extent produce increases in atmospheric moisture or
cloudiness, in turn altering the surface radiation
budget and increasing the amount of precipitation.
Furthermore, all the ultraviolet and infrared radiation
is absorbed in the upper 50 cm of the ice. Only visible
radiation penetrates into the lower portions of thicker
ice and into the upper ocean beneath the ice. Signif-
icant changes in sea ice extent and/or thickness would
clearly result in major changes in the climatology of
the polar regions. For instance, recent computer
simulations in which the ice extent in the southern
hemisphere was held constant and the amount of
open water (leads) within the pack was varied
showed significant changes in storm frequencies,
intensities and tracks, precipitation, cloudiness, and
air temperature.

However, there are even less obvious but perhaps
equally important air–ice and ice–ocean interactions.
Sea ice drastically reduces wave induced mixing in the

upper ocean, thereby favoring the existence of a 25–
50m thick, low-salinity surface layer in the Arctic
Ocean that forms as the result of desalination pro-
cesses associated with ice formation and the influx of
fresh water from the great rivers of northern Siberia.
This stable, low-density surface layer prevents the heat
contained in the comparativelywarm (temperatures of
up to131C) but more saline denser water beneath the
surface layer from affecting the ice cover. As sea ice
rejects roughly two-thirds of the salt initially present in
the sea water from which the ice forms, the freezing
process is equivalent to distillation producing both a
low-salinity component (the ice layer itself) and a high
salinity component (the rejected brine). Both compo-
nents play important geophysical roles. Over shallow
shelf seas the rejected brine, which is dense, cold, and
rich in CO2, sinks to the bottom, ultimately feeding
the deep water and the bottom water layers of the
world ocean. Such processes are particularly effective
in regions where there are large polynyas (semiper-
manent open water and thin-ice areas at sites where
climaticallymuch thicker icewould be anticipated). In
that this ‘salt pump’ removes CO2 from the atmos-
phere, it has been hypothesized that it is a process
contributing to the decrease inCO2/air ratios observed
in ice core samples deposited during times of maxi-
mum glacial advance (colder5more sea ice forma-
tion5more CO2 removed from the atmosphere).
Certainly, whatever the effectiveness of this process,
it will be less effective in removing CO2 if a climate
warming causes less ice to form over the world’s
shelf seas.

Sea ice also has important biological effects at both
ends of the marine food chain. It provides a substrate
for a special category of marine life, the ice biota,
consisting primarily of diatoms. These form a signif-
icant portion of the total primary production and, in
turn, support specialized grazers and species at higher
trophic levels, including amphipods, copepods,
worms, fish, and birds. At the upper end of the food
chain, seals and walruses use ice extensively as a
platform onwhich to haul out and give birth to young.
Polar bears use the ice as a platform while hunting.
Also important is the fact that in shelf seas such as the
Bering and Chukchi, which are well mixed in the
winter, themelting of the ice cover in the spring lowers
the surface salinity increasing the stability of the water
column. The reduced mixing concentrates phyto-
plankton in the near-surface photic zone, thereby
enhancing the overall intensity of the spring bloom.
Finally there are the direct effects of sea ice on human
activities. The most important of these are its barrier
action in limiting the use of otherwise highly advan-
tageous ocean routes between the northern Pacific
regions and Europe and its contribution to the
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numerous operational difficulties that hinder the safe
extraction of the presumed oil and gas resources of the
polar shelf seas.

Properties

Because ice is a thermal insulator, the thicker it is the
slower it grows, other conditions being equal. And
because sea ice either ablates or stops growing during
the summer, there is amaximum thickness of first-year
(FY) ice that can form during a specific year. The exact
value depends of course upon the local climate and
oceanographic conditions, reaching slightly over 2m
in the Arctic and as much as almost 3m at certain
protected Antarctic sites. It is also clear that during the
winter the heat flux from areas of open water into the
polar atmosphere is significantly greater than the flux
through even thin ice, and is as much as 200 times
greater than the flux throughMY ice. This means that
even if open-water and thin-ice areas comprise less
than 1–2% of the winter ice pack, lead areas must still
be considered in order to obtain realistic estimates of
ocean–atmosphere thermal interactions.

If an ice floe survives a summer, during the second
winter the thickness of the ice added to it is less than
the thickness of nearby FY ice for two reasons: it starts
to freeze later and it grows slower.Nevertheless, by the
end of the winter, the second-year ice will be thicker
than the nearby FY ice. Assuming the above process is
repeated in subsequent years, some ice will be ablated
away each summer (largely from the upper ice surface)
and some added each winter (largely on the lower ice
surface). As the years pass, the ice melted on top each
summer will remain the same (assuming no change in
the climate over the ice) while the ice forming on the
bottom will become less and less as a result of the
increased insulating effect of the thickening overlying
ice. Ultimately a rough equilibrium will be reached,
with the winter addition equalling the summer abla-
tion. Such steady-state MY ice floes can be layer cakes
of 10 or more annual layers with total thicknesses in
the range of 3.5–4.5m. Much of the uncertainty in
estimating the equilibrium thickness of such floes is the
result of uncertainties in the oceanic heat flux. How-
ever, in sheltered fiord sites in the Arctic where the
oceanic heat flux is presumed to be near zero, MY fast
ice with thicknesses of up to roughly 15–20m is
known to have occurred. Another important factor
affecting MY ice thickness is the formation of melt
ponds on the upper ice surface during the summer, in
that the thicknesses and areal extent of these shallow
surface water bodies is important in controlling the
total absorption of shortwave radiation. For instance,
a melt pond with a depth of only 5 cm can absorb

nearly half the total energy absorbed by the whole
system. The problem here is that good regional
descriptive characterizations of these features are
lacking as the result of the characteristic low clouds
and fog that occur over the Arctic ice packs in the
summer. Particularly lacking are field observations on
melt pond depths as a function of environmental
variables. Also needed are assessments of howmuch of
themeltwater remains ponded on the surface of the ice
as contrasted with draining into the underlying
seawater. Thermodynamically these are very different
situations.

Conditions in the Antarctic are, surprisingly, rather
different. There, surface melt rates within the pack are
small compared with those at the northern boundary
of the pack. The stronger winds and lower humidities
encountered over the pack also favor evaporation and
minimize surface melting. The limited ablation that
occurs appears to be controlled by heat transfer
processes at the ice–water interface, so that the ice
remains relatively cold throughout the summer. In any
case, because most of the Antarctic pack is advected
rapidly to the north, where it encounters warmer
water at the Antarctic convergence and melts rapidly,
only small amounts of MY ice remain at the end of
summer.

Sea ice properties are very different from those of
lake or river ice. The reason for the difference is that
when seawater freezes, roughly a third of the salt in the
seawater is initially entrapped within the ice in the
form of brine inclusions. As a result, initial ice
salinities are typically in the range of 10–12 parts per
thousand (ppt). At low temperatures (o� 8.71C),
solid hydrated salts also form within the ice. The
composition of the brine in sea ice is a unique function
of the temperature, with the brine composition
becoming more saline as the temperature decreases.
Therefore, the brine volume (the volumetric amount
of liquid brine in the ice) is determined by the ice
temperature and the bulk ice salinity. Not only does
temperature vary with level in the ice sheet but salinity
decreases as the ice ages, reaching a value ofB3ppt in
MY ice. Brine volumes are usually lower in the colder
upper portions of the ice and higher in the warmer
lower portions. They are particularly low in the part of
MYice above sea level, fromwhich the salt has drained
almost completely. In fact, the upper layers of thick
MY ice and of aged pressure ridges produce excellent
drinking water when melted. As brine volume is the
single most important parameter controlling the
thermal, electrical, and mechanical properties of
sea ice, these properties show associated large
changes both vertically in the same ice sheet and
between ice sheets of differing ages and histories.
To add complexity to this situation, exactly how the
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brine is distributed within the sea ice also affects ice
properties.

There are several different structural types of sea ice,
each with characteristic crystal sizes and preferred
crystal orientations and property variations, the two
commonest being ‘congelation’ and ‘frazil’. In conge-
lation ice, large elongated crystals extend completely
through the ice sheet, producing a structure similar to
that of directionally solidified metals. In the Arctic,
large areas of congelation ice showcrystal orientations
so similar that they cause the ice to have directionally
dependent properties in the horizontal plane as if it
were a giant single crystal. Frazil, on the other hand, is
composed of small, randomly oriented, equiaxed
crystals that are not vertically elongated. Congelation
is more common in the Arctic while frazil is
more common in the Antarctic, reflecting the more
turbulent conditions characteristically found in the
Southern Ocean.

Drift and Deformation

If sea ice were motionless, ice thicknesses would be
controlled completely by the thermal characteristics of
the lower atmosphere and the upper ocean. Such ice
sheets would presumably have thicknesses and phys-
ical properties that would change slowly and contin-
uously from region to region. However, even a casual
examination of an area of pack ice reveals striking
local lateral changes in ice thicknesses and character-
istics. These changes are invariably caused by ice
movements produced by the forces exerted on the ice
by winds and currents. Such motions are rarely
uniform and lead to the buildup of stresses within ice
sheets. If these stresses become large enough, cracks
may form and widen, resulting in the formation of
leads. Such features can vary in width from a few
meters to several kilometers and in length from a few
hundred meters to several hundred kilometers. As
mentioned earlier, duringmuch of the year in the polar
regions, once a lead forms it is immediately covered
with a thin skim of ice that thickens with time. This is
an ever changing process associated with the move-
ment of weather systems as one lead system becomes
inactive and is replaced by another oriented in a
different direction. Because lead formation occurs at
varied intervals throughout the ice growth season, the
end result is an ice cover composed of a variety of
thicknesses of uniform sheet ice.

However, real pack ice thickness distributions
(Figure 1) show that there is a significant amount of
ice thicker than the 4.5–5.0mmaximum thatmight be
expected for steady-stateMY ice floes. This thicker ice
forms by the closing of leads, which commonly results

in the piling of broken ice fragments into long,
irregular features or ‘pressure ridges’. There are
many small ridges, and large ones are rare. Neverthe-
less, the large ridges are very impressive, the largest
free-floating sail height andkeel depth reported to date
in the Arctic being 13 and 47m (values not from the
same ridge). Particularly heavily deformed ice com-
monly occurs in aB150 kmband running between the
north coast of Greenland and the Canadian Arctic
Islands and the south coast of the Beaufort Sea. The
limited data available on Antarctic ridges suggest they
are generally smaller and less frequent than ridges in
the Arctic Ocean. The general pattern of the ridging is
also different in that the long, sinuous ridges charac-
teristic of the Arctic Ocean are not observed. Instead,
the deformation can be better described as irregular
hummocking accompanied by extensive rafting of one
floe over another. Floe sizes are also smaller as the
result of the passage of large-amplitude swells through
the ice. These are generated by the intense Southern
Ocean storms that move to the north of the ice edge
and result in the fracturing of the larger floes,while the
large vertical motions facilitate the rafting process.

Pressure ridges are of considerable importance for
four reasons. First, they change the surface roughness
at the air–ice andwater–ice interfaces, thereby altering
the effective surface tractions exerted by winds and
currents. Second, they act as plows, forming gouges in
the sea floor up to 8m deep when they ground and are
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Figure 1 The distribution of sea ice drafts expressed as
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pushed along by the ungrounded pack as it drifts over
the shallower (o60m) regions of the polar continental
shelves. Third, as the thickest sea icemasses, they are a
major hazard that must be considered in the design of
offshore structures. Finally, and most important, the
ridging process provides a mechanical procedure for
transferring the thinner ice in the leads directly and
rapidly into the thickest ice categories.

Considerable information on the drift and defor-
mation of sea ice has recently become available
through the combined use of data buoy and satellite
observations. This shows that on average there are
commonly two primary ice motion features in the
Arctic Basin, namely the Beaufort Gyre, a large
clockwise circulation located in the Beaufort Sea,
and the Trans-Polar Drift Stream,which transports ice
formed on the Siberian Shelf over the Pole to Fram
Strait between Greenland and Svalbard. The time
required for the ice to complete one circuit of the gyre
averages 5 years, while the transit time for the Drift
Stream is roughly 3 years with about 9% of the sea ice
of the Arctic Basin (919 000 km2) moving south
through the Fram Strait and out of the basin each
year.There aremany interesting features of the ice drift
that exist over shorter time intervals. For instance,
recent observations show that the Beaufort Gyre may
run backwards (counterclockwise) over appreciable
periods of time, particularly in the summer and fall. It
has also been suggested that such reversals can occur
on decadal time scales. Typical pack ice velocities
range from 0 to 20 cm s� 1 although extreme velocities
of up to 220 cm s�1 (4.3 knots) have been recorded
during storms. During winter, periods of zero ice
motion are not rare. During summer, when consider-
able open water is present in the pack, the ice appears
to be in continuousmotion. The highest drift velocities
are invariably observed near the edge of the pack.
Not only are such locations commonly windy, but the
floes are able to move toward the free edge with
minimal inter-floe interference. Ice drift near the
Antarctic continent is generally westerly, becoming
easterly further north, but in all cases showing a
consistent northerly diverging drift toward the
free ice edge.

Various sea ice formations are shown in Figure 2.

Trends

Considering the anticipated geophysical consequences
of changes in sea ice extent, it is not surprising that
there is considerable interest in the subject. Is sea ice
expanding and thickening, heralding a new glacial
age, or retreating and thinning before the onslaught of
a greenhouse-gas-induced heat wave? One thing that

should be clear from the preceding discussion is that
the ice is both surprisingly thin and variable. Therefore
small changes in meteorological and oceanographic
forcings could result in significant changes to the
extent and state of the ice cover. They could also
produce feedbacks that might have significant and
complex climatic consequences.

Before we examine what is known about sea ice
variations, let us first examine other related observa-
tions that have a direct bearing on the question of sea
ice trends. Land station records for 1966–96 show that
the air temperatures have increased, with the largest
increases occurring duringwinter and spring over both
north-west North America and Eurasia, a conclusion
that is supported by increasing permafrost tempera-
tures. In addition, meteorological observations col-
lected onRussian pack ice drifting stations deployed in
the Arctic Basin show significant warming trends for
the spring and summer periods. It has also recently
been suggested that when proxy temperature sources
are considered, they indicate that the late 20th-century
Arctic temperatures are the highest in the past
400 years.

Recent oceanographic observations also relate to
the above questions. In the late 1980s the balance
between the Atlantic water entering the Arctic Basin
and the Pacific water appears to have changed,
resulting in an increase in the areal extent of the
more saline, warmer Atlantic water. In addition the
Atlantic water is shallower than in the past, resulting
in temperature increases of asmuch as 21Cand salinity
increases of up to 2.5 ppt at depths of 200m. The
halocline, which isolates the cold near surface layer
and the overlying sea ice cover from the underlying
warmer water, also appears to be thinning; a fact that
could profoundly affect the state of the sea ice cover
and the surface energy budget in the Arctic. Recent
changes as revealed by the motions of data buoys
placed on the ice show that there has been aweakening
of the Beaufort Sea Gyre and an associated increased
divergence of the ice pack. There are also indications
that theMYice in the center of theBeaufortGyre is less
prevalent and thinner than in the past and that the
amount of surface melt has increased fromB0.8m in
the mid 1970s to B2m in 1997. This conclusion is
supported by the operational difficulties encountered
by recent field programs that have attempted to
maintain on-ice measurements. The increased melt
also is in agreement with observed decreases in the
salinity of the near surface water layer.

It is currently believed that the above changes
appear to be related to atmospheric changes in the
Polar Basin, where the mean atmospheric surface
pressure is decreasing andhas been below the 1979–95
mean every year since 1988. Before B1988–99 the
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Beaufort High was usually centered over 1801 longi-
tude. Since then the high has been both weaker and
typically confined to more western longitudes, which
may account for lighter ice conditions in the western
Arctic. There also has been a recent pronounced
increase in the frequency of cyclonic storms in the
Arctic Basin.

So, are there also direct measurements indicating
decreases in ice extent and thickness? Historical data
based on direct observations of sea ice extent are rare,
although significant long-term records do exist for a
few regions such as Iceland, where sea ice has an
important effect on both fishing and transportation. In
monitoring the health of the world’s sea ice covers the

(A) (B)

(C) (D)

(E) (F)

Figure 2 (A) Ice gouging along the coast of the Beaufort Sea. (B) Aerial photograph of an area of pack ice in the Arctic Ocean showing

a recently refrozen large lead that has developed in the first year. The thinner newly formed ice is probably less than 10 cm thick.

(C) A representative pressure ridge in the Arctic Ocean. (D) A rubble field of highly deformed first-year sea ice developed along the

Alaskan coast of the Beaufort Sea. The tower in the far distance is located at a small research station on one of the numerous off-

shore islands located along this coast. (E) Deformed sea ice along the NW Passage, Canada. (F) Aerial photograph of pack ice in the

Arctic Ocean.
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use of satellite remote sensing is essential because of
the vast remote areas that must be surveyed. Unfor-
tunately the satellite record is very brief. If data from
only microwave remote sensing systems are consid-
ered, because of their all-weather capabilities, the
record is even shorter, starting in 1973. As there was a
2-year data gap between 1976 and 1978, only 25 years
of data are available to date. The imagery shows that
there are definitely large seasonal, inter-annual and
regional variations in ice extent. For instance, a
decrease in ice extent in the Kara and Barents Seas
contrasts with an increase in the Baffin Bay–Davis
Strait region and out-of-phase fluctations occur be-
tween the Bering and the Okhotsk Seas. The most
recent study, which examined passive microwave data
through December 1996, concludes that the areal
extent of Arctic sea ice has decreased by 2.970.4%
per decade. In addition, record or near-record mini-
mum areas of Arctic sea ice were observed in 1990,
1991, 1993, 1995, and 1997. A particularly extreme
recession of the ice along the Beaufort coast was also
noted in the fall of 1998. Russian ice reconnaissance
maps also show that a significant reduction in ice
extent and concentration has occurred over much of
the Russian Arctic Shelf since 1987.

Has a systematic variation also been observed in ice
thickness? Unfortunately there is, at present, no
satellite-borne remote sensing technique that can
measure sea ice thicknesses effectively from above.
There is also little optimism about the possibility of
developing such techniques because the extremely
lossy nature of sea ice limits penetration of electro-
magnetic signals. Current ice thickness information
comes from two very different techniques: in situ
drilling and upward-looking, submarine-mounted
sonar. Although drilling is an impractical technique
for regional studies, upward-looking sonar is an
extremely effective procedure. The submarine passes
under the ice at a known depth and the sonar
determines the distance to the underside of the ice by
measuring the travel times of the sound waves. The
result is an accurate, well-resolved under-ice profile
from which ice draft distributions can be determined
and ice thickness distributions can be estimated based
on the assumption of isostacy.

Although there have been many under-ice cruises
starting with the USSNautilus in 1958, to date only a
few studies have been published that examine tempo-
ral variations in ice thickness in the Arctic. The first
compared the results of the cruise of the Nautilus in
1958 with those of the nearly identical cruise of USS
Queenfish in 1970. Decreases in mean ice thickness
were observed in the Canadian Basin (3.08–2.39m)
and in the Eurasian Basin (4.06–3.57m). The second
study compared the results of two Royal Navy cruises

made in 1976 and 1987 and obtained a 15% decrease
in mean ice thickness for a 300 000 km2 area north of
Greenland. Although these studies show similar
trends, the fact that they each utilized only 2 years of
data caused many scientists to feel that a conclusive
trend had not been established. However, a recent
study has been able to examine this problem in more
detail by comparing data from three submarine cruises
made in the 1990s (1993, 1996, 1997) with the results
of similar cruises made between 1958 and 1976. The
area examined was the deep Arctic Basin and the
comparisons used data only from the late summer and
fall periods. It was found that the mean ice draft has
decreased by about 1.3m from 3.1m in 1958–76 to
1.8m in the 1990s, with a larger decrease occurring in
the central and eastern Arctic than in the Beaufort and
Chukchi Seas. This is a very large difference, indicat-
ing that the volume of ice in the region surveyed is
down by some 40%. Furthermore, an examination of
the data from the 1990s suggests that the thickness
decrease is continuing at a rate of about 0.1myr�1.

Off the Antarctic the situation is not as clear. One
study has suggested a major retreat in maximum sea
ice extent over the last century based on comparisons
of current satellite data with the earlier positions of
whaling ships reportedly operating along the ice edge.
As it is very difficult to access exactly where the ice
edge is located solely from shipboard observations,
this claim has met with some skepticism. An exami-
nation of the satellite observations indicates a very
slight increase in areal extent since 1973. As there is no
upward-looking sonar data for the Antarctic Seas the
thickness data base there is very small. However,
limited drilling and airborne laser profiles of the upper
surface of the ice indicate that in many areas the
undeformed ice is very thin (60–80 cm) and that the
amount of deformed ice is not only significantly less
than in theArctic butwould only add roughly 10 cm to
the mean ice thickness.

What arewe tomake of all of this? It is obvious that,
at least in the Arctic, a change appears to be underway
that extends from the top of the atmosphere to depths
below 1000m in the ocean. In the middle of this is the
sea ice cover which, as has been shown, is extremely
sensitive to environmental changes. What is not
known is whether these changes are part of some
cycle or whether they represent a climatic regime shift
in which the positive feedbacks associated with the
presence of a sea ice cover play an important role. Also
not understood are the interconnections betweenwhat
is happening in the Arctic and other changes
both inside and outside the Arctic. For instance,
could changes in the Arctic system drive signi-
ficant lower-latitude atmospheric and oceanographic
changes, or are the Arctic changes driven by more
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dynamic, lower-latitude processes? In the Antarctic
the picture is even less clear, although changes are
known to be under way, as is evidenced by the recent
breakup of ice shelves along the eastern coast of the
Antarctic Peninsula. Not surprisingly, the scientific
community is currently devoting considerable energy
to attempt to answer these questions. We could say
that a cold subject is heating up.

See also

Arctic Climate. Snow (Surface).
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Introduction

Theword ‘storm’ implies a disturbance of some sort in
the weather, but many different types of weather can
result in an event called a storm. Thus, it is possible to
have windstorms, dust storms (which also are wind-
storms), hailstorms, thunderstorms, winter storms,
tropical storms, and so on. Generally speaking, events
called storms are associated with cyclones; undis-
turbed weather is usually found with anticyclones.

Similarly, the meaning of severity needs to be
considered. The intensity of the event in question
will be the basis for deciding on the severity of that
particular storm. However, if storm intensity is to be
the basis for categorizing a storm as severe, it has to be
decided what measure is to be used for intensity. This
also implies an arbitrary threshold for deciding the
issue of severity. That is, weather events of a given type
will be called severewhen somemeasure of that event’s
intensity meets or exceeds a threshold that is usually
more or less arbitrary. A hailstorm might be severe
when the hailstone diameters reach 2 cm or larger; a
winter snowstorm might be called severe when the
snowfall rate equals or exceeds 5 cmh�1.On the other
hand, some storms of any intensity might be consid-
ered severe. A tornado is a ‘storm’ embedded within a

thunderstorm; any tornado of any intensity is consid-
ered a severe storm.

The difficulty with arbitrary definitions is that they
imply a change in character whenever the threshold
criterion is met. That is, if a hailstorm produces
hailstones 1.9 cm in diameter, a threshold of 2 cm
means that such a storm is not severe. Is it reasonable,
from most people’s viewpoint, to try to distinguish a
storm producing 1.9 cm diameter hailstones from one
producing 2 cm hailstones? In the majority of cases
within the science of meteorology, there is no obvious
way to distinguish events with this sort of precision. A
small quantitative change in some intensity measure-
ment is not necessarily associated with a qualitative
change in the character of a storm. It is near the
threshold (wherever that threshold is chosen) that it
becomes challenging to analyze and predict storm
‘severity’. This will be elaborated on in dealing with
the specific events described below. However, the
challenge of defining severity should be kept inmind in
the following discussion, as we consider various types
of severe storms.

Severe Mid-latitude Storms

The tropics are defined formally as lying equatorward
of 23.51 latitude in the Northern and Southern
Hemispheres: the ‘Tropics’ of Cancer and Capricorn,
respectively. Poleward of these latitudes and equator-
ward of 601 latitude lie the so-called mid-latitudes.
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There are important distinctions between the weather
of mid-latitudes and that of the tropics. Notably, in
mid-latitudes, the Coriolis force is an important part
of the meteorology, whereas in the tropics, its impact
on the large-scale weather is less.

Synoptic-Scale Storms

Cyclones in mid-latitudes that are thousands of
kilometers in horizontal extent are known as synop-
tic-scale systems. These are the familiar rotating
weather systems (Figure 1) shown routinely in news-
papers and on television. Such storms serve an
important function in the global circulation, helping
to carry warm air poleward from the tropics and cold
air from the polar regions equatorward. This process
keeps the imbalance of solar heating from creating too
extreme a temperature contrast between the poles and
the Equator. In association with these synoptic-scale
cyclones, intense temperature contrasts can develop
(Figure 2), called fronts, which are the leading edges of
the cold air flowing equatorward and the warm

air flowing poleward. These mid-latitude cyclones
are part of the normal progression of weather
systems, typically bringing clouds and precipitation
with them.

In some situations, when the hemispheric weather
patterns have become slow-moving, these cyclones
can bring prolonged periods of heat or cold to some
regions. When extreme temperatures (hot or cold) are
reached, these can be hazardous to humans for a
variety of reasons, but would not generally be consid-
ered ‘storms’.

Synoptic-scale cyclones can become particularly
intense, and the pressures at their cores can become
quite low in comparison to the average. Often, in the
process of intensification, the pressures can fall quite
rapidly as the result of the dynamic processes operat-
ing to cause the intensification. Cyclones with fast-
falling pressures are sometimes called ‘bombs’ and,
whereas they can be considered storms in their own
right, the cyclones may be responsible for several
different types of stormy weather.

Figure1 False-color-enhancedsatellite imageof a synoptic-scale cycloneon theafternoonof 10November1998, showing thecenter of

the cyclonenear the spiral of clouds in south-easternMinnesota. This cyclonewasproducing severe thunderstorms in andnear theGulf of

Mexico, as well as snow and high winds on the northern plains, in North and South Dakota. (Source: NOAA.)
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Rapidly falling pressures create strong winds over a
wide region. These windstorms resulting from synop-
tic-scale cyclones can produce considerable damage
and associated casualties; recent examples occurred in
France duringDecember 1999 and along the east coast
of theUnited States in February 2000 andMarch 1993
(the so-called ‘Superstorm’ of 1993). Another well-
publicized example hit the United Kingdom in Octo-
ber 1987. The damaging winds can extend over many
hundreds of kilometers and last in any one place for a
full day or more. The result of such widespread
damaging wind can be overwhelming to emergency
services, and power outages alone can last for days in
some places simply because of the sheer size of the
affected area. At sea, strong winds from intense
synoptic-scale cyclones produce large waves that
represent hazards to ships of all sorts. While still at
sea, the winds from intense cyclones can cause serious
damage, including beach erosion, when they affect
coastal areas.

In addition, intense synoptic-scale cyclones can
produce a full spectrum of hazardous precipitation.
The time of such storms runs fromFall through Spring,
and so the cyclones are capable of producing par-
alyzing snowstorms, ice storms, heavy rainstorms, and
even severe thunderstorms. Accumulations of ice and
snow during winter storms of this type are potentially
hazardous to ships and aircraft.

Depending on the circumstances, two or more of
these different severe weather types could be happen-
ing at the same time in different places. A given
locationmight experience all of them in the course of a
single day during the passage of a synoptic-scale

cyclone. In other situations, only one form of severe
weather occurs within such a cyclone.

Synoptic-scale cyclones are important in creating
the conditions for the development of smaller-scale
storms. It is a general principle in meteorology that, as
the size of a weather system decreases, the maximum
intensity of the weather it can create increases.
Although synoptic-scale systems certainly can pro-
duce widespread damage, it is usually not of the most
extreme intensity. However, the conditions within
such storms can result in smaller concentrations of
severe weather that become even more potentially
hazardous.

Mesoscale Storms

Whereas synoptic-scale weather happens on scales of
several thousand kilometers, mesoscale weather is in
the range of hundreds of kilometers. Synoptic-scale
weather processes go on essentially all the time
(although the really intense events are generally
rare), whereas mesoscale storms are intermittent.
That is, they arise only occasionally in any given
location and then only when the conditions for their
formation are produced by the processes operating on
the synoptic scale. There are two general classes of
mesoscale storm systems: those that arise from inter-
actions between the atmosphere and the underlying
surface, and those that occur even in regions of
uniform conditions at the surface.

Those systems that depend on the underlying
surface cover a wide range of phenomena. There are
many atmospheric circulations, like land–sea breezes,

Figure 2 Map of surface temperatures at about the same time as Figure 1, showing the strong contrast in temperature along the cold

front,with subfreezing temperatures inNorth andSouthDakotaat the same time that quitewarm temperatures are present over theGulf of

Mexico. Many subsynoptic-scale features also can be seen in mountainous regions; for example, in the Appalachian and Rocky

Mountains. (Source: NOAA.)
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that are more or less routine processes, driven by the
underlying topographic conditions; in the case of the
land–sea breeze, it is the temperature contrast between
the land and the sea that drives the flow. During the
day, the land is warmer and air tends to rise over land,
to be replaced by cooler air flowing in from the sea. At
night, the opposite happens. Of course, most of these
circulations would not be considered ‘storms’ in the
sense that we have been using. However, such proc-
esses as land–sea breezes can be influential in the
development of stormy weather, often in the form of
thunderstorms that are initiated along them.

Occasionally, the circumstances produced by the
synoptic-scale flow as it interacts with the surface
result in stormy conditions. A common example
occurs when the air flow interacts with complex
terrain, producing localized windstorms. There are
examples of these mesoscale windstorms around the
world, often given colorful names. Mesoscale wind-
storms such as the Chinook (in Alaska), the Foehn (in
the European Alps), the Traumontana (in the western
Mediterranean), and the Bora (in the Adriatic) have
been recognized as important weather events for
centuries. Windstorms in complex terrain arise in
different circumstances; they are not all driven by the
same mechanism. Some are simply cases where cool,
stable air is being funneled through gaps in the terrain
(e.g., the Traumontana); others develop when strong
winds aloft are brought down to the surface by
processes induced by air flow over the mountains (as
in Boulder, Colorado). The situation creating the
windstorms is created by the synoptic-scale flow,
but the strongest winds are confined to a mesoscale
area.

Another class of mesoscale storms can arise when
cold air flows over relatively warm waters. Storms of
this sort, called ‘polar lows’, apparently arise through
processes not unlike those of tropical cyclones, draw-
ing energy from the ocean to develop their intense
circulations. They occur when outbreaks of very cold
polar air flows over relatively warm waters. Given
their mesoscale size, they often are characterized by
intense pressure gradients, leading to the occurrence of
strong windstorms. Their size means that the weather
they bring may only last for part of a day, but during
the passage of the storm, winds can meet, and even
exceed, the hurricane threshold of 33.5m s� 1. The
windstorms associated with polar lows can be quite
hazardous, especially when they occur in association
with low temperatures (resulting in severe windchill
conditions). In addition, polar lows can produce
blinding snowstorms with snowfall rates of perhaps
200mmh�1, leading to extremely dangerous blizzard
conditions. On some occasions they can be associated
with strong and possibly severe thunderstorms aswell.

Even when the underlying surface is more or less
uniform, mesoscale storms can develop within synop-
tic-scale cyclones (Figure 3). These are usually tied to a
disturbance in the middle or upper troposphere that
encounters conditions favorable for its development.
Such systems can produce unforeseen snow and ice
storms in the winter, and severe thunderstorms during
the warm season. There may not be a strong cyclone
near the surface in such events.

Severe Thunderstorms

Severe thunderstorms typically produce weather
events that cover a wide range of size scales, from a
few hundred kilometers down to just a few kilometers
or even smaller. This is because thunderstorms can
occur as isolated events or in groups. In the United
States, a thunderstorm-related event is considered
severe when the wind gusts equal or exceed 25m s�1,
or when the hailstone diameters exceed 2 cm, or if a
tornado is produced.

A thunderstorm is composed of one or more cells,
where a cell is the basic building block of a thunder-
storm. Cells, in turn, are viewed as being made up of
one group of air parcels being driven upward by
positive buoyancy and another being driven down-
ward by negative buoyancy, with the presence of
precipitation in the air. Positive buoyancy arises in
updrafts by the release of latent heat during the
condensation ofwater vapor.This heat release acts like
the burner of a hot air balloon, reducing the density of
the air in which condensation is occurring and thereby
causing the air to rise. As the process continues,

Figure3 Anexample of a polar low in the cold airstreambehinda

wintertime synoptic-scale cold front associated with a synoptic-

scale cyclone (a low-pressure center). (Source: NOAA.)
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precipitation can be formed in the updraft. This
precipitation can produce downdrafts simply by its
accumulating weight dragging downward on the
surrounding air. Moreover, when precipitation falls
into relatively dry air surrounding a developing storm,
the evaporation of that precipitation chills the air
because evaporation absorbs latent heat from the air in
the same way that condensation releases that heat.

When downdrafts caused by thunderstorms reach
the surface, they are forced to spread out, like pancake
batter pouredonto a griddle. This creates anoutflowat
the surface (often called a downburst), with the
outflow winds sometimes reaching the criterion for
calling the thunderstorm severe. On some occasions,
these outflow winds can exceed 40m s�1.

Under the right circumstances, notably when the
updraft is particularly strong, the possibility of hail
formation arises. Hailstones develop in the part of the
storm where supercooled water and ice crystals are
both present; liquid water is said to be supercooled
when its temperature is below the melting point (01C)
and thewater is not yet frozen.Hailstones can become
quite large, exceeding 5 cmdiameters at times, and can
be capable of penetrating roofs, shattering windows,
and even creating human casualties. Even small hail
can cause crop damage, of course.

Occasionally, tornadoes form in association with
severe thunderstorms. Tornadoes are intense low-
pressure vortices that can produce the strongest winds
of any storm: at their highest intensity, tornadic
windspeeds can approach 140m s� 1.Most tornadoes,
however, are not that intense. Tornadoes over bodies
ofwater are calledwaterspouts. Tornadoes are created

in thunderstorms when pretornadic, relatively weak
circulations are intensified through conservation of
angular momentum.

Isolated Events

Themost intense form of thunderstorm is the so-called
supercell thunderstorm, which typically is isolated
from surrounding storms. Supercells are rotating
thunderstorms that develop their rotation by tapping
the vertical wind shear in the storm environment. The
vast majority of supercells produce some sort of severe
weather: hail, damaging straight-line winds, and/or
tornadoes; only about 20% of them are tornadic. The
most violent severe weather of all types is almost
always associatedwith supercells (Figure 4), including
themajority of strong and violent (F2–F5 on the Fujita
Scale) tornadoes and giant hailstones (exceeding 5 cm
in diameter).

Although the typical thunderstorm cell has a
lifetime of about 20–30min, supercells can persist
for many hours. This means that all forms of severe
weather from supercells can be prolonged, sometimes
leaving long, wide swaths of damage. The organized
nature of a supercell, associated with its overall
rotation, means that supercells produce a dispropor-
tionate share of the damage associated with thunder-
storms. Perhaps only about 10% of all thunderstorms
are supercells, but they are responsible for themajority
of thunderstorm damage in areas where they occur.

Because supercell updrafts are often intense, super-
cells can become prolific hail producers; a noteworthy
example was a supercell that hit the Dallas–Fort
Worth metroplex on the evening of 5 May 1995, with

Figure 4 Supercell-associated tornado on 22 May 1981, near Alfalfa, Oklahoma. (Imager 2000 C. Doswell (used with permission).)
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softball-sized hail and torrential rains. The damage
from that one storm was estimated at $1 billion.

Apart from supercells, isolated thunderstorms are
usually not severe and typically do not last very long.
On rare occasions, isolated thunderstorms can pro-
duce a brief ‘pulse’ of severe weather, usually hail or
winds that are only marginally severe.

Aggregations of Thunderstorms

Thunderstorms do not typically occur as isolated
events. Instead, they tend to form in groups, in either
lines or in clusters of individual cells. The most
common grouping is in lines, sometimes referred to
as squall lines. When thunderstorm cells form in
aggregations, the collection of storms can live for
much longer than the individual cells (which usually
retain their 20–30min life cycles). This means that the
hail and wind events produced by such groupings of
thunderstorms are intermittent, rather than prolonged
(as with supercells), as cells form and decay. Severe
weather can go on in such cases for many hours in
this intermittent fashion. The interactions between
individual cells in lines and clusters of thunderstorm
cells are often complicated and hard to predict,
but those interactions are responsible for severe
weather.

A particularly dangerous form of thunderstorm
aggregation arises when new cells are constantly
forming in one place and tracking over the same
region repeatedly, a situation called ‘training’ because
the cells are like carriages in a train. This means that a
particular area experiences rainfall from a succession
of thunderstorm cells, which can result in extremely
heavy rainfall. This is the process associated with the
majority of flash flood eventsworldwide. In theUnited
States, heavy rainfall is not considered to be a criterion
for what is officially considered to be ‘severe’ despite
the importance of such rainfall in flooding events. On
the other hand, many other nations around the world
consider heavy rainfall to be an important form of
severe storm.

Severe Tropical Storms

The most obvious form of severe weather associated
with the Tropics is the tropical cyclone. Tropical
cyclones are known by different names in different
parts of the world: hurricanes (in North America),
typhoons (in the tropical Pacific), and cyclones (in the
Indian Ocean and Australia), among others, but they
are all the same phenomenon. Such storms arise when
sea surface temperatures become warm, the vertical
wind shear is weak, and tropical weather disturbances
move through the easterly Trade winds of the tropics.
They produce winds in excess of 33.5m s�1 and the

peak sustained winds (i.e., not gusts) can approach
90m s�1 in extreme cases. The size of the region of
damagingwinds can vary considerably fromone event
to another, but winds exceeding ‘hurricane force’
(33.5m s�1) can be found within a circle on the order
of 100 kmor so in diameter.With such a large regionof
strong winds, damaging windspeeds can go on for
many hours.

Although they are well known for strong winds,
tropical cyclones can pack a lethal combination of
hazards: storm surge, heavy rainfalls, and even
embedded tornadoes, as well as the better-known
strong winds. Storm surge is created by a combination
of strong winds and low pressure, resulting in an
elevated sea level near the center of the storm. When
this surge, which can be several meters high, makes
landfall, low-lying coastal regions can be inundated.
Nor is the rainfall component to be taken lightly.
Hurricane Mitch (Figure 5) devastated parts of Nic-
aragua and Honduras in 1998, mostly from flash
floods and landslides. There were more than 9000
fatalities, making it the worst weather disaster in this
century in the Western Hemisphere.

Tropical cyclones are usually several hundred kilo-
meters in diameter and can last for tens of days. Their
paths often take them out of the tropics into mid-
latitudes, where they canmaintain their structure for a
time before eventually dissipating or transforming
into midlatitude cyclones. Tropical storms usually
dissipate shortly after making landfall, because their
energy source (warm sea water) is cut off. Neverthe-
less, dissipated tropical cyclonic storms can remain
dangerous well after they lose their strong winds by
creating an environment favorable for heavy rain-
producing thunderstorms.

Relatively little is known about other types of severe
storms in the tropics. Severe thunderstorms, especially
supercells, are uncommon in the tropics because of a
general lack of vertical wind shear. Of course, heavy
rain-producing tropical thunderstorms are relatively
common in some parts of the tropics.

Societal Impacts and Their Mitigation

Severe storms in all their variety cause the loss of
hundreds of lives and several billion dollars in prop-
erty during the course of a year in the United States. It
is worth noting that the United States can recover from
such property damage because of its large, generally
healthy economy. Economic losses from severe storms
in the United States are typically much less than one
percent of the gross domestic product (currently
several trillion dollars), so by spreading out the impact
of severe storms, the areas affected can recover and
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rebuild. On the other hand, when severe storms (like
Hurricane Mitch) devastate less-developed nations
with small economies, the damage to their infrastruc-
ture can be so large that it might take decades to
recover.

Forecasting severe storms has showna slow increase
in accuracy during the past several decades, as new
technologies are leading to improved understanding
and predictability. The accuracy of forecasts generally
increases as the scale of the storm increases; it is
possible to be more accurate with a synoptic-scale
forecast than with a forecast on the scale of a single
thunderstorm in most cases. There is more complete

understanding of the synoptic-scale meteorology than
that on scales smaller than synoptic. Furthermore,
forecast accuracy generally decreases with the age of
the forecast, at a rate that also depends on the scale. In
general, the accuracy of a synoptic-scale forecast stays
high for longer than does a short-range forecast of a
thunderstorm-scale event.

Mitigation of property damage depends mostly on
making the right preparations for the storms that are
possible in a given location, well in advance of the
storms. Once the storms are under way, there tends to
be relatively little that can be done to prevent property
damage. For example, a home built on a barrier island

Figure 5 View from the GOES-8 geostationary satellite of Hurricane Mitch near Honduras and Nicaragua. (Source: NOAA.)

Figure 6 Damage caused by the violent tornado that hit the city of Moore, Oklahoma on 3 May 1999.
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that can be swept by landfalling tropical cyclones is
unlikely to remain undamaged for more than a few
decades, at most. Thus, some damage can be avoided
by not building in vulnerable areas. As another
example, there are several ways in which homes can
be built to resist tornado damage (Figure 6), unless the
homeowner is unlucky enough to be hit by the most
intense winds in a violent tornado. Even within the
whole violent tornado damage area, only a few places
will actually experience the most violent winds; most
of the rest of the structures will encounter winds that
can be resisted through appropriate construction.

Mitigation of casualties can also be a complex
undertaking. In some instances, as with tropical
cyclones, evacuation is possible and may be the
best way to protect lives when it is feasible. For
tornadoes, access to a suitable shelter is preferred;
in situations where proper shelter is not available,
the alternatives during tornadoes are not very good.
In flooding situations, evacuation to higher ground
is the appropriate way to prevent casualties, when
time permits. Clearly, our ability to detect and
predict severe storms is also important for casualty
mitigation. In the United States, there has been a
gradual reduction in weather-related fatalities with
time, in part because there are fewer ‘surprise’ storms
today and in part because education about severe
storm hazards has led to improved public prepara-
tions. Nevertheless, we continue to be vulnerable to
disasters caused by severe storms, and complacency
can be a fatal error.

See also

Air–Sea Interaction: Storm Surges. Bow Echos and
Derecho. Convective Storms: Overview. Cyclogene-

sis. Cyclones, Extra Tropical. Downslope Winds.
Flooding. Lake Effect Storms.Mesoscale Meteorol-
ogy:Mesoscale Convective Systems.Microbursts.Oro-
graphic Effects: Lee Cyclogenesis. Polar Lows.
Tornados. Waterspouts.
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Introduction

Snow blankets more than half of the Northern
Hemisphere each winter, remaining in place for
periods ranging from less than a month (typically
south of 401N) to more than 8 months of the year
(typically north of 601N). In the Southern Hemi-

sphere, the coverage is less extensive, but still substan-
tial. If the perennial snow covers of the Greenland and
Antarctic ice sheets are included, along with the
seasonal snow cover that forms on lake and sea ice,
then the total percentage of the Earth’s surface covered
by snow during some period of each year is consider-
able. This blanket of snow is a complex, layered
material that can exhibit a high degree of spatial
heterogeneity. Year-to-year variations in coverage and
properties can be large and they have a direct and
immediate impact on the Earth’s climate. In this
article, the major types of snow cover are introduced
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and the layered nature of the snow is discussed.
The role of the snow in moderating the exchange
of energy and mass with the atmosphere is also
described.

Snow Cover and Its Importance

The term ‘snow cover’ is directly analogous to the term
‘formation’ when discussing layered sedimentary or
metamorphic rocks. Both the sequence and character
of the layers, and the lateral variation of each layer
(facies changes), contribute to the overall properties of
the formation. Similarly, the bulk physical and thermal
properties of a snow cover, the properties that are of
importance in moderating the exchange of energy and
mass between the Earth and the atmosphere, are an
aggregate of the properties of the individual layers. For
each layer, these properties are the result of the
conditions (snowfall, wind, temperature) that pre-
vailed when the layer was deposited, and the post-
depositional conditions (temperature, temperature
gradients, snow overburden, liquid water percolation,
solar radiation) to which the layer was subjected after
deposition. Because both deposition and post-deposi-
tion conditions vary across the landscape, the layers
themselves vary. In order to understand the role of
snow cover in atmospheric processes, the layered
nature and spatial variability of thematerial need to be
considered.

Much of the impact of snow on climate and
atmospheric processes arises because of its high albedo
and low thermal conductivity. Snow cover reflects up
to 85% of incoming short-wave solar radiation,
significantly reducingwinter temperatures and retard-
ing melting in the spring. At the same time, snow is an
excellent insulator, so it can effectively lower the rate
of heat loss from the ground or an underlying ice
surface, thereby maintaining higher winter soil tem-
peratures or retarding the rate of sea and lake ice
growth. The total winter energy exchange across a
snow cover is a complex balance between these two
competing processes. Snow cover is also important
because it traps aerosols and other atmospheric
particulates like a filter, storing these until the snow
melts, then releasing them abruptly. Snow can control,
through thermal and physical means, the release of
trace gases like CO2 from subnivian plants and soils
during the winter, and it functions as a temporary
storage reservoir of water, stockpiling winter precip-
itation then allowing it to run off in a much shorter
period of time than it otherwise would have had it not
fallen as snow. In some cases in higher latitudes where
the snow lasts many months, as much as 80% of the
annual river discharge can be from snowmelt, and this

discharge may occur in a period of less than two
weeks.

Perennial and Seasonal Snow Covers

Because of their fundamentally different layered
structures, it is customary to distinguish between
perennial and seasonal snow covers. Seasonal snow
covers are deposited in the fall and melt away
completely each spring; therefore they never become
very deep. Perennial snow covers form at higher levels
on glaciers and ice sheets, where the combined
decrease in temperature and increase in snowfall
precipitation with altitude is sufficient to allowwinter
snow accumulation to survive the summer melt.
Snowfall of the following winter is deposited on the
residual snow of the previous year, forming a sequence
of annual layers of snow that can be tens to hundreds
of meters thick before compaction at depth converts
the snow into glacier ice.

Separate but related climate classification systems
for perennial and seasonal snow covers have been
suggested and are useful when thinking about both
local and global variations in snow cover. For the
perennial snow on glaciers and ice sheets, increas-
ing elevation results in a decrease in melting. As a
consequence, snow characteristics vary with elevation
(Figure 1). At the lowest elevation, themelt removes all
of the winter snow, and a seasonal rather than
perennial snow pack forms each year. Higher, the
snow pack survives the summer melt, but percolation
of melt water into the snow pack and subsequent
refreezing produce extensive icy features like the ice
lenses and percolation columns. At the highest eleva-
tions, nomelting takes place and the dry snow facies is
observed.On a steep alpine glacier, the entire sequence
is compressed into a distance of tens of kilometers. On
ice sheets, sequence may spread over distances of
hundreds of kilometers.

For seasonal snow covers, local climate rather than
elevation determines the prevailing snow cover char-
acteristics, and this local climate can be represented by
three simple binary variables: winter temperature,
winter precipitation, and wind. High and low values
for each of these variables (Figure 2) define eight
possible types of seasonal snow covers, most of which
have a counterpart in the glacier facies system shown
in Figure 1. For example, under warmer, wetter winter
conditions, a maritime snow cover will develop. This
snow cover tends to be deep (41m) andwarm (near or
at freezing temperatures), and exhibits similar icy
features to those observed in the percolation facies on
glaciers (compare Figure 3 to Figure 1). Similarly,
alpine, tundra, and taiga snow cover classes exhibit
features found in the dry snow facies on glaciers. The
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stratigraphic diagram and key in Figure 3 suggest the
main snow cover characteristics associated with each
climate class for seasonal snow.

Layer by Layer Development
of a Snow Cover

Snow cover builds up layer by layer. The initial
characteristics of each layer are determined by how
much solid precipitation falls, whether the precipita-
tion is accompanied by wind, and the prevailing
temperature at the time of deposition. After deposi-
tion, each layer is subjected tomechanical and thermal
metamorphic processes that alter the layer character-
istics. These vary in intensity and duration depending
onwhen the layerwas deposited, its height in the snow
pack and the number of overlying layers, the prevail-
ing conditions at the snow surface, and the tempera-
ture and temperature gradients in the snow pack as a
whole. At any given time, the characteristics of each
layer in the snow are a product of its initial deposition
and post-depositional metamorphism.

Layer Deposition and Densification

Almost 80 different types of falling snow crystals have
been identified. The particular crystals that accumu-
late at the Earth’s surface in a snow storm are
determined by the temperature and humidity in the
layers of air through which the crystals fall and grow.
However, crystal form is far less important than the
rate of snowfall, the wind speed, and the temperature
in determining the initial characteristics of a snow

Summer surface
of reference year

Summer surface of
the previous year

Firn line
(approx 600 m)

Saturation line
(approx 1000 m)

Dry snow line
(approx 2100 m)

Dry  snow facies

Percolation facies

Soaked facies

Ablation

facies

Glacier ice

Figure1 Theglacier faciesclassificationofBenson (1962), describingvariations in thecharacteristicsof theperennial snowcover found

on glaciers and ice sheets. With increasing elevation, there is a decrease in the amount of melting and, as a consequence, a decrease in

the amount of icy features in the winter snow pack. At the lowest level, all of the winter snow melts in the summer and the snow cover is

essentially seasonal; at the highest level, no melting takes place and the snow has no features in it related to melting. (From Benson CS

(1962) Stratigraphic studies in the snow and firn of the Greenland Ice Sheet. SIPRE Research Report 70, CRREL.)
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layer. In general, low temperatures, lowwind, and low
rates of snow fall produce the lowest-density layers of
new snow (Table 1).

Once deposited, new snow layers densify rapidly.
Initially, much of this densification is a result of

thermodynamic instability. The sharp points and
intricate branches of newly fallen snow crystals have
high radii of curvature; the water vapor pressure over
these highly curved surfaces is greater than elsewhere,
so there is a net loss of water molecules from pointed
areas to the air spaces in the snow, or to other areas on
crystals that have lower degrees of curvature. The
crystals rapidly break down and the resulting frag-
ments become more rounded (Figure 4). The break-
down reduces the size of the crystals, increases the
number of individual snow grains, and decreases
the degree to which the crystals interlock. As a result,
the entire snow layer settles.

As additional new layers of snow are added to the
snow pack, the overburden load (s) on buried layers
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Figure 3 Typical snow stratigraphy for the six seasonal classes listed in Figure 2. (From Sturm M, Holmgren J, Liston G (1995)

A seasonal snow cover classification system for local to global applications. Journal of Climate 8: 1261–1283.)

Table 1 The density of newly deposited snow

Deposition conditions Density (g cm� 3)

No wind, low rate of snowfall, cold 0.02–0.05

Low wind, low rate of snowfall 0.05–0.10

Moderate wind, high rate of snowfall 0.20–0.35

Moderate wind, low rate of snowfall 0.35–0.40

High wind 0.40–0.55

2064 SNOW (SURFACE)



increases. For these layers, compaction due to vertical
stresses begins to dominate the snow densification
process. The response of the snow to these stresses has
beenmodeled by assuming the snow layer behaves like
a viscous fluid (eqn [1]).

� 1

h

dh

dt
¼ 1

r
dr
dt

¼ s
Zc

½1�

In eqn [1]h is the thickness of the layer (m), t is time (s),
r is the layer density (kgm�3), and Zc is the compact-
ive viscosity. Values of Zc (Pa s) have been determined
from observations of the settlement of natural snow

layers, from uniaxial strain compressive tests, and
from depth–density profiles on glaciers and ice sheets.
The combined results show wide scatter, but individ-
ual sets of data are usually fitted to the relation in eqn
[2], where k is a factor that depends on the type of
snow cover (Figures 1 through 3).

Zc ¼ Z0e
kr ½2�

The effective viscosity term incorporates a number of
physical mechanisms including gravity-driven move-
ment of snow grain centers of mass toward each
other, vapor and volume diffusion, and sintering.

0 1 2

3 5 12

14 16 19

23 49 57

Figure4 Changes in a snow flake held at a constant temperature of �11.51C for a total period of 57 days (indicated by small numbers).

The snow flake grew in the atmosphere under conditions of supersaturationwith respect to water vapor. Once deposited, the sharp points

and thin branches were thermodynamically unstable and the snow flakemetamorphosed, even in the absence of a temperature gradient

or overburden stress. (From Bader H, Haefeli R, Bucher E, Neher J, Eckel O, Thams C (1939) Der Schnee und seine Metamorphose

(Snow and its Metamorphism), US Army SIPRE Translation 14, 1954.)
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Not surprisingly, viscosity factor values vary widely
depending on the temperature, liquid water content,
and grain characteristics of the snow – i.e., the snow
cover class (Table 2). Colder, drier, finer-grained layers
of snow tend to be more viscous than warmer, wetter,
layers with larger grains, and therefore compact more
slowly.

In the absence of melting or the introduction of
liquid water, snow layers will continue to densify until
they reach a limiting density of about 0.6 g cm� 3. By
this time, the snow grains will have metamorphosed
until they have become highly rounded, a shape that
minimizes their surface free energy. The rounded
grains will be in close contact with each other, and the
grain arrangementwill approximate that of hexagonal
close-packing of ice spheres. Further densification will
require actual deformation of the individual grains of
snow, or the influx and refreezing ofmelt water in pore
spaces. The overburden stresses required to achieve
this further deformation are only realized in the deep
perennial snow packs found on glaciers and ice sheets.

Snow layers deposited during windy conditions
(wind slabs) have much higher initial densities than
other new snow layers. The wind tumbles snow
crystals as it transports them, breaking the more
fragile crystal junctions and pulverizing the crystals in
general. The resulting grains are actually crystal
fragments, often less than 0.1mm in length, and these
shardlike grains (Figure 5), when they come to rest,
pack well and sinter together into a cohesive slablike
layer. Initial densities for wind-transported layers of
new snow range from 0.35 to 0.6. The upper limit
occurs for the same physical reasons as discussed
before. Due to their high initial densities and cohe-
siveness, wind slabs are highly resistant to compaction
and often remaining at a fixed density after deposition.

There has been much discussion and experimenta-
tion to determine the wind speed necessary to trans-
port snow. The transport takes place through three
mechanisms: creep, saltation, and suspension. Creep
consists of the rolling movement of grains along the
snow surface under the action of the wind. Saltation is
the movement of grains along the surface by jumping
and ricocheting after impact by other grains. Suspen-
sion is the movement of grains in the wind stream at
some level above the snow surface. The threshold
shear velocity, un, at which transport occurs is usually

estimated by assuming a logarithmic-shaped wind
profile and projecting the 10-m high wind speed (u10)
down to the snow surface (un). In general the value of
u10 is between 18 and 30 times the value of un.
Experimental studies indicate that when u10 is greater
than 6m s�1 transportwill occur if the snowhas fallen
recently. If the snow is new and falling while there is
wind, transport will occur with wind of 5 or even
4m s�1. If the snow is aged, was previously trans-
ported by the wind, or has undergone some melt–
freeze processes, speeds in excess of 30m s�1 may be
needed before the snow will start to be tranported
(Figure 6).

Table 2 Compactive viscosity factors for three classes of snow

cover

Snow cover type k-value (m3 kg� 1)

Maritime 18–22

Alpine/taiga 35–60

Tundra 470

Figure 5 Wind-pulverized snow grains from Arctic Alaska,

showing irregular shapes and thick bonds due to rapid sintering

after deposition.
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Figure 6 The critical wind shear velocity (un) as a function of

snow hardness, which is a good measure of the type of snow.

Increasing hardness, common for wind slabs and layers of snow

that have undergone melt–freeze, requires considerably higher

winds to mobilize these types of snow. u10 is the wind speed

measuredat a standardheight of 10m. (FromKindRJ (1981)Snow

drifting. In: Gray DM, Male DH (eds). Handbook of Snow,

pp. 338–359. Toronto: Pergamon.)
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In similar fashion, the flux of snow transported
by the wind is a strong function of the wind speed,
with increasing speeds producing a marked increase
in the total amount transported (Figure 7). For
values of un between 0.2 and 0.44m s�1, saltation
dominates the transport, but for un values in excess
of 0.44m s� 1, suspension exceeds saltation in trans-
porting snow.

One other consequence ofwind transport of snow is
the development of a wide range of drift deposit and
erosion features at the snow surface. These features
include ripple marks, dunes, barchans, and sastrugi.
Surprisingly, little is known about the relationship
between these features and the wind speed, the
temperature, and the snow conditions necessary for
their formation.

The final, and most efficient, method for densifying
a layer of snow is through the infiltration of melt
or rain water into the snow cover, followed by
subsequent refreezing. Water can infiltrate, surround
grains as thin films or lie in veins along grain junctions,
and refreeze to produce large multiparticle grains.
Water can also percolate downward in pipelike
structures called percolation columns, or spread
out along stratigraphic boundaries (owing to varia-
tions in the hydraulic conductivity of the snow).
When this water refreezes, ice lenses and layers
are created. Frequently, a single infiltration event
will produce ice layers at multiple levels in the
snow pack. Densities in excess of 0.6 g cm� 3, some-
times even as high as 0.9 g cm�3, can result.
This mechanism is commonly observed in ephemeral
and maritime seasonal snow covers (Figures 2 and 3),
and in the percolation facies for perennial snow
(Figure 1).

Snow Metamorphism

In addition to compaction and densification, several
other metamorphic processes can affect layers of
snow. These processes result chiefly in changes in
snow grain characteristics and bonding, which in turn
affect the thermal conductivity, air permeability, and
albedo of the snow.The processes are typically divided
into ‘wet’ and ‘dry’ categories because different snow
grain characteristics are produced depending on
whether liquid water is present. Further metamorphic
subdivisions are shown in Table 3.

For wet snow metamorphism, the degree to which
grains and a snow layer are changed is mainly a
function of howmuch water is present. For low liquid
contents (o5% by weight), the water in the snow
exists as thin films and isolated pockets or veins
around grains; continuous ice grain and air space
pathways still exist through the snow layer. This is
called the pendular regime. Under this regime, snow
grains will rapidly round, and clusters of grains,
looking much like bunches of grapes, will form as a
result of the minimization of surface free energy. The
clusters themselves are quite strong because the bonds
between the spherical grains are still intact and
substantial. Thewet snow packwill have considerable
bearing strength. Spring skiing, which can be excel-
lent, takes advantage of these ball-bearing like grain
clusters and the general strength and cohesiveness of
this type of wet snow metamorphism. If the temper-
ature of the snow drops and the grain clusters freeze,
they will take on the slightly more amorphous shapes
of melt–grain clusters (Figure 8), while at the same
time the strength of the layerwill increase dramatically
as all the interstitial water freezes. For higher liquid
water contents, snow grains and air spaces become
surrounded and isolated by the liquid water present in
the layer. This water begins to drain downward under
the influence of gravity and is called the funicular
regime. Once again, when surrounded by water, the
snow grains will round, but now boundaries between
grains will not be thermodynamically stable and will
melt rapidly, creating a slush. The slush has little or no
bearing strength, and can even flow like a fluid under
certain conditions. The grains themselves, if surround-
ed bywater at 01C for long enough (24–36 hours), will
metamorphose into oblate spheroids (Figure 9).

In the absence of liquid water, snow will metamor-
phose in one of two ways depending on the temper-
ature gradient imposed on the snow. Water vapor
density over ice is a strong positive function of
temperature, so temperature gradients in the snow
give rise to water vapor density gradients in the air
spaces in the snow and a diffusive flow of vapor from
warmer to colder grain surfaces. For convenience the
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Figure 7 Snow transport rates for saltation (solid curve) and

suspension (brokencurve) as a functionofwind shear velocity (un).

The wind speed at 10m height is approximately 18–26 times un. At

un ¼ 0:44 (10m height wind speeds of 8–11ms� 1), suspension

begins to transport the majority of the wind-borne flux of snow.

(From Liston GE, Sturm M (1998) A snow-transport model for

complex terrain. Journal of Glaciology 44: 498–516.)
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temperature gradient is often defined as the difference
between the basal and surface temperatures of the
snow cover, divided by the thickness of the snow
(Figure 10), but in reality the actual temperature
gradient varies continuously with both time and
height in the snow. For example, rapid fluctuations
in air temperature can produce very large temperature
gradients near the snow surface, at least for
short periods of time. Experimental work has shown
that when the temperature gradient exceeds a
magnitude of approximately 0.251Ccm� 1, kinetic
crystal growth will occur. If the gradient is lower,
equilibrium growth takes place. Not surprisingly,
temperature gradients in thick perennial snow covers
tend to be lower than those in the thinner seasonal
snow covers, particularly thin taiga, tundra, and
alpine seasonal classes that can be subjected to very
low air temperatures in the winter. As a result, kinetic
growth is common in seasonal snow covers but occurs
infrequently (often only in autumn) in perennial snow
covers.

Equilibrium crystal growth, also widely known as
‘equi-temperature metamorphism’ (ET-metamor-
phism) occurs when temperature gradients in the
snow pack are less than 0.251Ccm� 1. These low
temperature gradients produce weak water vapor
density gradients in the snow and low rates of vapor

diffusion. The rates are so low that the supply of vapor
to a growing crystal, rather than crystal growth
dynamics, controls the growth. Rounded, well-bond-
ed grains result.

Kinetic growth, alsowidely known as ‘temperature-
gradient metamorphism’ (TG-metamorphism) pro-
duces ornate, faceted crystals commonly referred
to as ‘depth hoar’. In this case, temperature gradients
imposed on the snow are of a large enough magnitude
to produce a flux of water vapor that exceeds the
rate at which the crystal can grow. Crystal growth
dynamics, rather than vapor supply, control both
the growth rate and the crystal form, producing
crystals with distinct sharp-edged facets, well-
defined interfacial angles, and surface striae
(Figures 11 and 12). Unlike the case for equilibrium
growth, intergrain bonds are weakened and reduced
in number during kinetic growth, producing layers
that tend to be brittle and weak. This has two
important ramifications: the brittle layers can shear
easily and often create failure planes that are respon-
sible for the release of avalanches. Second, the poor
bonding creates layers that have low thermal conduc-
tivity. In absence of air movement in the snow, these
layers provide excellent insulation that contributes to
the retentionof heat in the groundor ice underlying the
snow cover.

Table 3 Metamorphic processes that affect the snow cover

Wet snow metamorphism Dry snow metamorphism Dry snow metamorphism – older terms

Melt-grain clusters and melt–freeze particles Equilibrium or rounded growth Equi-temperature metamorphism (ET)

Slush Kinetic or faceted growth Temperature-gradient metamorphism (TG)

Figure 8 Melt-grain clusters showing the well-rounded grains

and the high degree of contact between grains.

Figure 9 Snow slush, showing the oblate spheroid shape of the

grains and the complete lake of bonding. (FromColbeckSC (1986)

Statistics of coarsening inwater-saturated snow.ActaMetallargica

34, 347–352.)
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Energy and Mass Exchange across a
Snow Cover

It is beyond the scope of this article to address in full
themass and energy exchange over a snow cover, but a
few points particular to snow are discussed. The
reader should also see articles on surface energy
balance, albedo, turbulence, boundary layer meteor-
ology, surface roughness, and solar radiation for more
details.

Heat transfer across a snow cover occurs mainly by
conduction through the ice network of grains, by
conduction across the air-filled pore spaces in the
snow, and by diffusion of vapor across the pore spaces.
The thermal conductivity of ice ismore than 100 times
higher than that of air, so the conduction of heat across
air spaces is thought to contribute relatively little to the
total. The heat transported by vapor diffusion, in
contrast, is thought to contribute as much as 40%,
particularly at temperatures near freezing when the
vapor flux is high. This diffusive vapor transport is

envisioned as occurring in a ‘hand-to-hand’ manner
across pore spaces, with vapor diffusion from the
warm side of snow grains balanced by vapor conden-
sation on the colder side.

Because the contributions of these three individual
mechanisms are difficult if not impossible to separate,
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Figure 10 (A) Temperature profiles and (B) computed vertical

temperature gradients from the snow cover on the ice of the
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complexwaywith height in the snow.Note that at someheights and
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and kinetic growth will not occur.

Figure 11 The initial stages of kinetic growth metamorphism.

The grains are starting to exhibit distinct faceting.

Figure 12 At-depth hoar cup, shown in typical growth position.

The hexagonal pyrimidal cup opens downward because the flow of

water vapor is upward. Heavy striae can be seen on all crystal

facets. This is the late stage of kinetic growth metamorphism.
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in practice they are always lumped together by
reporting an ‘effective’ thermal conductivity for the
snow. Both solid body conduction through the ice
network and vapor diffusion are driven by the
temperature gradients in the snow, suggesting that a
simple heat flowequation canbeused tomodel the flux
of heat across the snow (eqn [3]).

q ¼ keff
dT

dz
½3�

Here q is the vertical heat flow through the snowcover,
dT=dz is the temperature gradient across the snow,
and keff is the effective thermal conductivity of the
snow. However, the driving temperature gradient in
the ice network may be quite different from the
gradient across pore spaces that drives vapor
diffusion, in which case eqn [3] may be an oversim-
plification. Be that as itmay, it is customary to describe
the heat transfer using eqn [3] and assigning an
appropriate value for keff.

Figure 13 shows compilation of most measured
values of keff as a function of density. As the density of

the snow increases, so in general does the value of keff.
In many climate models, regression equations relating
keff to density (often using the viscous snow compact-
ion (eqns [1] and [2]) to determine the snow density)
are used to set the thermal conductivity of the snow.
However, as the figure shows, the scatter in keff at any
given density is large and real. It is the result of
differences in the bonding of the snow, and perhaps
also due to variations in snow temperature. For a given
density, higher temperatures and better bonding
between grains lead to higher values of thermal
conductivity. Given the scatter, care should be exer-
cised when choosing a value of keff for modeling. The
values should be consistent with the type of snow
cover (Figures 1 through 3) as well as a keff–density
relationship. For improved accuracy, a value of keff for
each layer of snow shouldbe determined; then the bulk
value for the entire snow cover should be computed
using a series-type solution.

Convective heat transfer is also known to operate in
snow and complicates the energy exchange across a
snow cover. Two types of convection have been
reported: buoyancy-driven convection, and convection
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Figure 13 A compilation of most published values of the thermal conductivity of snow. There is nearly an order of magnitude scatter at

any given density, and this scatter is real. It arises from differences in snow cover characteristics. (From SturmM, Holmgren J, König M,

Morris K (1997) The thermal conductivity of seasonal snow. Journal of Glaciology 43: 26–41.)
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forced by the wind (wind-pumping). The former has
been documented only in a highly permeable snow
covers like taiga snow. This snow cover often wholly
comprises layers of large, poorly bonded kinetic
growth crystals called depth hoar. The layers have
extremely high values of air permeability and, owing
to low winter air temperatures, are subjected to
temperature gradients of high magnitude, both con-
ditions favorable for buoyancy-driven convection.
Convective air flow velocities of several millimeters
per second have been computed based on observations
of temperature fields in the snow, and these air flow
speeds are sufficient to increase the heat transfer rate
by a factor of 3. The prevalence of buoyancy convec-
tion in other types of snow covers may be low, but this
has not been shown experimentally.

Forced convection also probably occurs in some
snow covers. Theory indicates that pressure differenc-
es arising when wind blows across surface irregular-
ities like dunes and sastrugi are most likely to produce
a flow of air that can move both heat and mass (in
contrast to turbulence or other aspects of the wind
over snow). Flow rates are probably on the order of a
few millimeters per second and are likely to be
confined to near-surface layers of snow. Observations
of the mixing depth of aerosols and particulates in
snow layers indicate that wind pumping is definitely
effective in moving mass, but the magnitude of the
effect of wind-pumping on heat transfer has yet to be
demonstrated. In addition, it appears that near-surface
and surface wind and melt crusts in the snow can
effectively eliminate any wind-pumping by reducing
the air permeability of the snow creating barriers in the
form of impermeable wind on melt crusts that can
effectively shut off all air movement.

As neither wind-pumping nor buoyancy-driven
convection are state properties of the snow, they
pose difficulties when one is trying to model heat
transfer in snow. Both processes depend on external
conditions for their onset and strength, and they can
transport anything from zero to several times the
conductive heat flux, depending on the snow charac-
teristics, the temperature structure in the snow, and the
wind speed and direction.

Water, water vapor, CO2, methane, and aerosols
andparticulates are all transferred across a snowcover
and the transfer process for each is complicated. In
general, mass transfer is controlled by the air perme-
ability of the snow, the surface topography of the snow
cover (for wind-pumping), and the supply rate of
particles, gases, or chemicals. As discussed previously,
both diffusive and convective transport of air are
possible, and the chemicals and gases move with the
air. The air permeability of naturally occuring snow
(Figure 14) ranges over two orders ofmagnitude. It is a

major control on deposition and transfer rates, which
vary widely with chemical species and environmental
conditions. For aerosols, when the residence time of
the air in the snow is greater than 15 seconds, the filter
efficiency of the snow can be almost 100%.

See also

Boundary Layers: Overview. Energy Balance Model,
Surface. Land–Atmosphere Interactions: Canopy
Processes;Overview; TraceGasExchange.Reflectance
and Albedo, Surface. Solar Terrestrial Interactions.
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Introduction

Many studies have shown an apparent response in
weather or climate indicators to solar variability. At
various locations temperature, rainfall, surface pres-
sure, cloud cover, storms, and droughts, among other
meteorological parameters, have been found to corre-
late with measures of solar activity over the 11-year
solar cycle and over periods extending fromdecades to
centuries and longer. Some of these studies do not
stand up to rigorous statistical analysis and some only
appear to hold only over limited time periods, but
there is mounting evidence of solar influence on
climate on many time scales.

The radiant energy output of the Sun varies by about
0.1% over the 11-year solar cycle. If simple radiation
balance estimates are used, this does not appear to be
large enough to explain some of the apparent solar
signals, in particular those in lower-atmosphere tem-
peratures, although it is consistent with observed
decadal variations in sea surface temperature of order
0.1K. Comparison of solar activity, reconstructed
back to theMaunderMinimum in sunspot numbers at
the end of the seventeenth century, with estimates of
Northern Hemisphere temperature suggests that the
Sun has made a significant contribution to climate
variability since that time but cannot alone account for
the warming of the latter half of the twentieth century.

The amount of solar radiation reaching the Earth is
also modified by variations in the Earth’s orbit around
the Sun. These variations take place over periods of
tens to hundreds of thousands of years and may be
responsible for the occurrence of ice ages.

Variations in factors other than the total amount of
solar radiant energy affect the atmosphere and possi-
bly influence weather and climate. Solar ultraviolet
emission varies by several percent over the solar cycle
and influences ozone production and temperatures in
the middle atmosphere. The resulting change in

thermal structure of the stratosphere may influence
the climate of the lower atmosphere through dynam-
ical and radiative processes. The chemical structure of
the stratosphere is also affected by high-energy
protons and electrons emitted during solar flares and
coronal mass ejections.

Alterations in the solar magnetic field affect the flux
of galactic cosmic rays reaching the Earth and thus the
strength of the Earth’s electric field and ionization
rates in the lower stratosphere. It is plausible, but
unproven, that these result in changes in thunderstorm
activity or cloud cover.

Observations

The effects on the atmosphere of varying solar
insolation can be observed clearly in diurnal and
seasonal variations. However, direct observation of
the effect of changing solar activity on weather and
climate is more difficult, so the detection of solar
signals in meteorological records has usually relied on
statistical analysis. One approach is to perform a
spectral analysis of a time series of data to see if
periodicities associated with solar variability (e.g.,
around 11, 22, or 80 years) are present. Another
simple statistical approach is to estimate the degree of
correlation between a meteorological parameter and
some measure of solar activity. More sophisticated
methods take into account other possible factors
influencing the state of the atmosphere and also
information on the variability of all the parameters
involved.

Solar 11-Year Cycle

Cycles of 10–12-year periodicity have been isolated in
many data records, including global surface temper-
ature, surface temperature at many land stations
across the globe, rainfall in the United States and
Africa, surface pressure in the North Atlantic and
North Pacific Oceans, North American forest fires,
Atlantic tropical cyclones, tropical corals, and the
Southern Oscillation. An example of a 10–12 year
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oscillation in sea surface temperatures can be seen in
Figure 1, which shows the amplitude of an oscillation
derived from data which have been spectrally filtered
to isolate the decadal component.

Because the 10–12-year period seen in these many
records includes that of the solar 11-year cycle it is
often assumed that the two are causally related.
However, in any particular data set the amplitude of
the 10–12-year component usually varies, sometimes
disappearing for considerable periods. Perhaps even
more seriously, the phase of the cycle often varies with
respect to the supposed solar forcing. Another aspect
of many of the analyses is considerable geographical
variation in the response of any particular meteoro-
logical parameter, as seen in the sea surface tempera-
ture analysis in Figure 1, which shows warming over
most of the oceans during solar maxima but bands of
cooling in the subtropics. A high degree of correlation
with solar activity has also been observed in lower-
stratospheric geopotential heights, with the largest
values found in midlatitudes. Figure 2A shows 3-year
running means of 30 hPa geopotential height at 20–
401 N in July and August (solid line) and the 10.7 cm
solar index (dashed line). The correlation coefficient,
R, of the two curves is 0.74. Also shown in Figure 2 is
the 3-year running mean of the mean temperature of
themiddle to upper troposphere (750–200 hPa) in July

and August for (B) 20–401 N (R ¼ 0:54) and (C) the
entire Northern Hemisphere (R ¼ 0:66). At certain
locations and times of year the correlations of these
parameters with the solar cycle may be enhanced
significantly when the data are sorted according to the
phase of the Quasi-Biennial Oscillation (QBO), al-
though care has to be taken that the analysis remains
statistically sound.

Analysis of data from the International Satellite
Cloud Climatology Project has shown a high correla-
tion between global low cloud cover and cosmic ray
flux (inversely related to solar activity) between 1983
and 1994. It remains to be seen if this correlation is
maintained for a period longer than one solar cycle. A
problem with deductions from time series such as the
cloud data, or those shown in Figure 2, is that nonsolar
forcing factors are not considered. For example, a
major factor affecting cloud cover is the phase of the El
Niño Southern Oscillation and this will undoubtedly
have contributed to low cloud variation within the
1983–94 time period. Other factors, which may have
affected the geopotential height and temperature
variations shown in Figure 2, were the major volcanic
eruptions of 1982 and 1991, which probably warmed
the lower stratosphere and cooled the troposphere
during the few years subsequent. (Note, however, that
the cooling in Figure 2B and C apparently due to the
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solar effects starts before the dates of the two
eruptions.) It is also possible that the natural (un-
forced) variability of the climate system includes
components of the same periodicity, making it more
difficult to diagnose any solar component. Clearly, any
theory which seeks to explain solar–climate links will
need to address all these factors.

Decadal–Centennial Scale

Variations associated with the 11-year cycle are
interesting from the point of view of diagnosing local
meteorological records and can also indicate potential
solar forcing mechanisms, but, unless the effects are
somehow accumulative, do not imply any long-term
climate effects. However, longer-term (and larger-
amplitude) variations in solar activity may have

significant impact on global climate. The well-known
coincidences of the cool period (‘Little Ice Age’) from
the late fifteenth century to the early nineteenth with
the Spörer and Maunder solar minima, and of the
warm period between about 900 and 1300 with the
solar Medieval maximum, have often been cited as
inferring a solar influence. However, it is possible that
these temperature records are biased towards North-
ern Hemisphere observations and that the warming/
cooling was not so large on the global scale.

Figure 3 shows (A) an estimate of total solar
irradiance back to 1600 along with (D) a reconstruc-
tion of Northern Hemisphere surface temperatures.

Visually, there are similarities between the shapes of
the curves, and correlations between records such as
these show values of between 0.5 and 0.8 depending
on the particular data sets, and length of records, used.
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If, instead of solar irradiance, the length of the solar
cycle is used as the measure of solar activity, then the
correlation rises even higher.However, as in the case of
the 11-year cycle, such correlations fail to explain the
effect or to recognize the existence of other pos-
sible forcing factors. Two of these are also shown
in Figure 3: (B) volcanic dust veil index and (C)
anthropogenic greenhouse gas concentrations (as
equivalent CO2). Statistical studies in which the
components of the temperature record due to these
different factors are isolated suggest that about half of
climate variability in the preindustrial era may be due
to solar influences.

Long Term

Indicators of longer-term variation in atmospheric
temperature may be derived from oxygen isotope
ratios in glaciers and ice sheets, lake sediments, ocean
sediments, and corals. Spectral analysis of these data
sets shows that the dominant component in the record
for the last 800 000 years has a period of around
100 000 years. This is on the same order as the
periodicity of the eccentricity of the Earth’s elliptical
orbit around the Sun,which could indicate evidence of
a direct solar influence on climate. However, the
changes in solar irradiance associated with the
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variations in eccentricity are small and much less than
the latitudinal and seasonal deviations due to varia-
tions in other orbital parameters – in particular, the tilt
of theEarth’s axis,which demonstrates a periodicity of
41 000 years and the precession of the equinoxes with
periodicities of 19 000 and 23000 years. These peri-
ods are less evidenced in the paleoclimate records,
indicating that factors other than simply the total solar
irradiance are responsible for long-term variations in
climate.

A key factor for the potential climate impact of
orbital variations is the change in the seasonal inten-
sity of solar radiation. For example, if increased
summer irradiance is insufficient to melt an extended
ice sheet resulting from colder winters, then the
climate system may be projected into an ice age.
Current GCMs are not able to reproduce ice sheet
growth, suggesting either that understanding of the
processes involved is incomplete (feedbacks involving
vegetation cover and type may be an example) or that
nonlinear interactions are not properly represented.

Mechanisms for Solar–Climate
Interaction

The observational analyses described in the previous
section provide evidence for influence of solar varia-
bility on climate but, without a clear understanding of
the mechanism(s) through which such interactions
take place, doubts may remain that the periodicities
and correlations found are due to natural internal
atmospheric variability or to other climate forcing
factors. The most direct means whereby solar varia-
bility may affect climate is by modulation of the total
solar radiative energy received by the Earth. Other
factors may possibly play a role indirectly through
modification of atmospheric chemical composition or
the Earth’s electric field or cloud formation.

Radiation Balance

The total radiative power emitted by the Sun crossing
unit area at the Earth’s distance from the Sun is
approximately 1370Wm� 2. Historically, this was
referred to as the ‘solar constant’ because it was
believed not to vary, but measurements made from
satellites since the late 1970s have shown that total
solar irradiance (TSI) changes by about 1.4Wm�2, or
0.1%, over the 11-year cycle with higher values
corresponding to periods of greater solar activity as
indicated by, e.g., sunspot numbers. Based on these
measurements and historical observations of sunspot
numbers (and other indicators of solar activity) TSI
values back to around the year 1600 have been
reconstructed, one such estimate being given in Figure 3.

This shows particularly low values occurring during
the second half of the seventeenth century (corre-
sponding to the Maunder Minimum in solar activity)
andhigh values at the endof the twentieth century.The
difference in total solar irradiance between these two
periods is estimated tobe about 3.3Wm�2, or 0.24%.

The equilibrium change in global average surface
temperature, Ts, due to a change in the Earth’s
radiation balance may be estimated from the expres-
sion DTs ¼ lDF, where DF is the imbalance in global
average radiative fluxes and l a climate sensitivity
parameterwhich represents the response of the surface
temperature to applied radiative perturbations, taking
into account atmospheric feedback mechanisms
through, for example, changes in humidity or cloud
cover. l is derived empirically from atmosphere–ocean
GCMs to be in the range 0.3 to 1.0KW� 1m2. An
increase in solar irradiance of 2Wm�2, as shown in
Figure 3, between the years 1700 and 1780, corre-
sponds to DF ¼ 0:35Wm�2 (taking account of global
averaging and terrestrial albedo) which would sug-
gest, using the expression above, a surface warming of
0.10–0.35K over that period – a figure very similar to
the observed increase. However, the same approach
would indicate that the increase in solar irradiance of
3.3Wm�2 between 1700 and 2000 would give a
warming of 0.17–0.58K, considerably less than the
observedmagnitude of 0.7K. This confirms the results
of the correlation studies discussed above that factors
other than solar variability influence variations in
surface temperature, but that the Sun probably plays a
significant role on decadal to century time scales.

Using the same radiative forcing arguments, the
0.1% variation in solar irradiance over the 11-year
solar cycle would imply an equilibrium global average
surface temperature response of about 0.07–0.24K.
This is of similar magnitude to the variations of
about 0.1K observed in sea surface temperature (see
Figure 1).

The above discussion was based on the idea of
global radiative equilibrium. However, studies with
GCMs show a geographically nonuniform response to
variations in solar input, with surface temperatures at
some locations showing cooling during periods of
higher solar activity, although the global average
response is consistent with that derived from energy
balance arguments.Observational studies also suggest
regional variations, although there are insufficient
data to make detailed analyses. Nevertheless, it is
probable that dynamical adjustments within the
atmosphere result in the existence of regions of
preferred response to solar activity.

Were the warming of 0.1K in surface temperature,
suggested for the 11-year cycle response both by
radiation balance calculations and by sea surface
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measurements, to be extended throughout the atmos-
phere it would result in an increase of about 10m in
30 hPa geopotential height. This is considerably less
than the 50–100mdeduced to be due to solar influence
from observations at low to midlatitudes (see Figure
2). Again, the difference may be due to dynamical
adjustments taking place within the atmosphere,
which preferentially enhance the response at particu-
lar locations; one possibility is that the strength and
extent of the tropical Hadley cells are affected.
Alternatively there may be other physical factors
acting to amplify the response to solar activity – some
of these are discussed below. A third explanation
might be that the results of the data analysis are not
robust; a reliable solution to this question will be
realized only with longer-term stable data sets.

Ultraviolet

The variability in total solar irradiance of order a few
tenths of 1% discussed above represents the changes
integrated across thewhole electromagnetic spectrum.
In the ultraviolet (UV), however, the fractional ampli-
tude of variability ismuchhigher:measurementsmade
by satellite instruments, and also the results of
theoretical models, suggest an increase of �7% at
200–208 nm and of �3:5% at 250 nm from solar
minimum to maximum of the 11-year cycle.

This variation in the spectrum complicates the issue
of where in the atmosphere–surface system the solar
energy is deposited. Most of the visible–near-infrared
radiation passes through the atmosphere unhindered
to the tropopause and hence, neglecting scattering by
cloud, to the surface, although water vapor bands in
the near infrared cause some absorption in the lower
troposphere. Shorter UV wavelengths, however, are
absorbed in the middle atmosphere, where they cause
local heating and ozone production. The increased
ozone tends to mask the lower atmosphere from the
enhanced incident UV, while the warmer stratosphere
will cause increased emission of thermal infrared
(TIR) radiation into the troposphere. Thus the nature
of the changes in the UV and TIR radiation fields
depends on the ozone response. However, the varia-
tion of ozone to solar activity is not well established.
Two-dimensional photochemistry–transport models
of the stratosphere predict the largest fractional
changes in the middle–upper stratosphere with mono-
tonically decreasing effects towards the tropopause.
Multiple-regression analysis of ozone measurements
made from satellites suggests largest changes in the
upper stratosphere, zero, or even slightly negative,
changes in the middle stratosphere, and significant
positive changes in the lower stratosphere. However,
as the data are available over only about one and a half

solar cycles, and have large uncertainties, especially in
the lower stratosphere, and may not properly have
accounted for the effects of volcanic aerosol, the true
nature of solar-induced changes in stratospheric ozone
remains uncertain.

Changes in stratospheric thermal structuremay also
affect the troposphere through dynamical interactions
rather than through direct radiative forcing. GCM
studies indicate that changes in stratospheric zonal
wind structure, brought about by enhanced solar
heating, could interact with vertically propagating
planetarywaves in thewinter hemisphere to produce a
particular mode of response. This mode, seen also in
GCM studies of the response to heating in the lower
stratosphere caused by injection of volcanic aerosol,
shows dipole anomalies in zonal wind structure which
propagate down, over the winter period, into the
troposphere. Thus, modifications to the stratosphere
may result in modulation of tropospheric modes such
as the Arctic Oscillation. If this does take place, as
seems possible but not proven, then there is scope for
significant local variation in meteorological parame-
ters in response to solar activity. Such a mechanism
might contribute towards the apparently solar-
induced changes in 30 hPa geopotential height in the
winter hemisphere, but does not provide a simple
explanation for the summer hemisphere response.

Solar-Energetic Particles andGalactic CosmicRays

Solar flares and coronal mass ejections occur more
frequently during periods of higher solar activity. As a
result of these events high-energy particles (protons,
electrons, and alpha particles) are emitted which can
enter the Earth’s atmosphere along the open magnetic
field lines near the polar caps. Particleswith energies of
more than �10MeV can penetrate the middle atmos-
phere where they cause an increase in the concentra-
tion of NO through ionization and dissociation of N2

and O2. Significant reduction in middle atmosphere
ozone concentrations can ensue. Higher-energy parti-
cles can propagate deeper into the atmosphere and to
lower latitudes. Furthermore, if a geomagnetic storm
is also in progress this will tend to expand the polar
cap, allowing further atmospheric exposure to the
particles. Although individual solar particle events
only last on the order of a few hours, the chemical
perturbations may persist for several months, propa-
gating downwards and equatorwards and possibly
altering stratospheric dynamics. The climate impact of
this is likely to be small, but has not been studied in
detail.

Galactic cosmic rays (GCRs) are particles formed
outside the solar systemandwhich bombard it fromall
directions. The flux of GCRs reaching the Earth is
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modulated by interaction with magnetic structures
advected with the solar wind such that at times of
higher solar activity the GCR flux is reduced by about
20% with respect to periods of lower solar activity.
The flux into the atmosphere is also affected by the
Earth’s magnetic field such that it is greater at higher
latitudes. The GCRs that do penetrate the atmosphere
are a major source of ionization, particularly in the
lower stratosphere.

There are two main theories advanced as to the
means whereby variations in GCR flux might impact
climate. The first concerns modulation of the Earth’s
electric field. Ionization of the atmosphere by GCRs,
or indeed by solar energetic particles, will influence its
conductivity and thus the current flow within the
Earth’s electric circuit. It is plausible that the current
flow into clouds may affect cloud microphysics, ice
formation, and hence thunderstorm activity, although
the details of this mechanism are not fully established.
While GCRs are more prevalent during periods of
minimum solar activity, solar energetic particles are
more numerous at solar maximum, so the variation of
this effect over the solar cycle is not clear. The second
means proposed whereby GCRs may affect climate is
through enhancing the production of cloud conden-
sation nuclei through growth of aerosol on ionized air
molecules. Evidence for the existence of this process

has been obtained by a recent observational and
modeling study, although not as yet in response to
solar activity.

The potential advantages of theories of solar–
climate links which rely on GCRs over those based
on electromagnetic radiation are twofold. First, they
circumvent the argument that solar variations are
energetically too small to produce the apparent effects.
Second, the potential response time of the atmosphere
is faster. However, much further research into the
proposed mechanisms is required, alongside further
careful observational studies, before their existence is
established.
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Introduction

The Sun is losingmass in formof the solarwind,which
has affected its evolution from its birth and will
continue to do so until its death. This is not unusual, in
that nearly all stars are losing mass through stellar
winds throughout amajor portion of their lives. As far
as the Earth is concerned, the solar wind blows against
the Earth’s magnetosphere, causing auroras and
geomagnetic storms.

The Corona

The surface of the Sun is called the photosphere, above
which lies the Sun’s atmosphere, known as the corona.

The solar wind forms in the corona and is caused by
high pressure in the corona relative to the low pressure
far from the Sun in the interstellar medium. This
pressure gradient exerts an outward force against
gravity and accelerates the wind from low speeds in
the low corona up to supersonic speeds at 2–10 solar
radii (RS). To give a sense of scale, the Earth is
1.5�108 km5 215RS from the Sun (defined as 1
astronomical unit or 1AU). Typical solar wind speeds
beyond 10RS are between 300 and 800 km s�1 so it
takes the solarwind 2.2 to 5.8 days to reachEarth. The
existence of the solar wind was inferred prior to the
space age from the existence of auroras, disturbances
to the Earth’s magnetosphere, and observations of
comet tails. Today it is regularly observed with a
number of spacecraft.

Coronal Expansion

Pressure in the corona is high because the temperature
is high, more than 106K, relative to the photospheric
temperature of B5800K. This is a sufficiently high
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temperature that the corona emits copiousX-rays. It is
believed that the corona is heated to this high
temperature as a by-product of magnetic field mo-
tions, interactions, and instabilities in the photosphere
that directly transfer energy into the corona. This
energy flux could be via direct heating, waves, jets of
material, or other forms, but this is unknownand is the
subject of research by several different observatories in
space and a deep-spacemission called Solar Probe that
will travel to within 3RS of the photosphere.

The corona is composed mainly of protons and
electrons (ionized hydrogen), with minor amounts of
silicon, carbon, iron, oxygen, and other elements.
There is about 20% helium (by mass) that can be
observed spectroscopically; this is how helium was
first discovered – hence its name (afterHelios, the Sun
god of Greekmythology). All the components share in
the expansion of the corona and can be measured
in situby spacecraft outside the Earth’smagnetosphere.

The Sun’s magnetic field makes the solar wind far
from a simple spherical expansion of a hot gas. The
magnetic field is dipole-like but undergoes a reversal
during every 11-year solar sunspot cycle. At sunspot
minimum the field is aligned with the solar rotation
axis, while at solar maximum many sunspots appear
and the dipole field weakens and becomes irregular.
From solar maximum to minimum the field again
becomes dipolar, but is inclined relative to the rotation
axis. These changes are reflected in changes in coronal
structure, which can be seen during solar eclipses such
as that shown in Figure 1. With the bright disk of the
Sun being occulted by the moon, the faint corona
becomes visible, primarily because of light coming

from the photosphere being reflected off of electrons in
the corona. The areas that are bright are regions of
high density and are known as streamers. The dark
regions at the top and bottom in Figure 1 are coronal
holes. The streamers in Figure 1 lie over the magnetic
equator and the density is higher because ions and
electrons are trapped on closed loops of the dipolar
magnetic field. The low-density coronal holes mark the
locations of the north and south magnetic poles.
Figure 1 was taken in 1994, just prior to solar
minimum, so that the magnetic axis was only slightly
inclined to the rotational axis, which is vertical in this
image.

Figure 2 is a schematic of the stages of coronal
evolution over the 11-year sunspot cycle, starting at
solar maximum on the left. Figure 1 is represented by
the drawing in Figure 2C. The magnetic field loops in
streamers are shown here to help suggest why the ions
and electrons are trapped, just as iron filings tend to
align along magnetic field lines around a bar magnet.
Coronal holes are shown by the dark areas on the solar
disk. This figure also indicates that fast solar wind
originates from coronal holes and slow solar wind
from above streamers. Fast solar wind has speeds
aboveB600 km s� 1 at 1AU and slow solar wind has
speeds below B500 km s� 1. This division into fast
and slow wind could be observed if one were able to
pass around the Sun as shown in Figure 2C from south
pole to north pole. It would then be possible to sample
first fast wind from the south pole, slow wind from
over the equatorial streamers, and then fastwind again
from thenorthpole. TheUlysses spacecraft carried out
this exercise in 1995–1996 at solar sunspot minimum

Figure 1 Total solar eclipse as seen from Putre, Chile on 3 November 1994. (Photograph courtesy of High Altitude Observatory,

National Center for Atmospheric Research.)
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and a plot of the observed solarwind speed is shown in
Figure 3 using what is called a dial plot. The dial plot
indicates the solar latitude around the origin and the
measured solarwind speed as distance from the origin.
The fast wind in the north and south is very clearly
divided from the slow wind above the equatorial

streamers in this plot. This demonstrates one of the
major discoveries in recent yearsF that fast and slow
solarwind represent twodistinct states betweenwhich
there is no continuous change. Fast wind comes from
coronal holes and is rather smooth and uniform at
1AU.Conversely, slowwind is relatively irregular and
comes either from thin boundaries around streamers
or leaks somehow from within streamers. Figure 4
shows profiles of how fast and slow wind vary with
distance from the Sun, illustrating not only that the
speeds are different but also that there are character-
istic densities and temperatures differences. Te and Tp

are the proton and electron temperatures in this plot.
The distinct difference between the two solar wind
states leads to important consequences because of
solar rotation.

Solar Rotation and the Magnetic Field
in the Solar Wind

Solar wind is an ionized gas made up primarily of
protons and electrons with minor ions in amounts
similar to those in the corona. The electrons and ions
are very tightly bound to lines of magnetic flux, again
like the coronal plasma in streamers. However, the
magnetic field in the solar wind is relatively weak and
thus is carried along by the solar wind. The rotation of
the Sun results in the lines of magnetic flux in the solar
wind being drawn into Archimedean spirals. This
occurs because the Sun revolves once every B25.5
days while, as mentioned above, it takes solar wind
several days to reach 1AU.Therefore, the Sun revolves
through a significant angle during the time it takes the
solar wind to reach the Earth. For example, taking a
typical speed of 400 km s�1, it takes solar wind 4.34
days to reach 1AU. During the same time, the Sunwill
have revolved through about 601, or about 1/6 of a full
rotation. The magnetic field in the solar wind, called
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Figure 2 Schematic illustration of the three stages in the 11-year solar sunspot cycle. (A) Solarmaximum,when the corona is filled with

streamers and there are fewor no coronal holes. There is nowell-defined large-scale field. (B)Declining phaseswhen the large-scale field

is dipole-like and inclined to the heliographic equator. (C) Solar minimumwhen the field is dipolar, alignedwith the rotation axis, andwhen

the polar coronal holes are largest.
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Figure 3 Dial plot of solar wind speed, indicated by radial

distance from the origin, as a function of heliographic latitude,

measured around the origin of the plot. Data were collected by the
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the interplanetary magnetic field, or IMF, is attached
to the Sun at the point where the solar wind began.
Thus, the point on the field line attached to the Sun is
turned through an angle of 601 relative to the point on
the magnetic field line that is at 1AU. The field line
between the Sun and 1AU traces a continuous curve
between these two points. Assuming the solar wind
speed, v (km s� 1), is independent of distance from the
Sun, this curve is described by eqn [1].

r� r0 ¼ �v

O cos y
f� f0ð Þ ½1�

In eqn [1], r is the distance from the center of the Sun
in km, r0 5 6.96 � 105 km is the radius of the
Sun, O5 2.85 � 10� 6 s�1 is the angular velocity of
the sun, and (f� f0) is the difference in longitude
(in radians) at the two points on the field line. y is
solar latitude and the Earth lies in the range
�7:25oyo7:25 degrees because the plane of the
ecliptic is inclined to the solar equator by 7.251. The
angle (f� f0) is also the angle between the magnetic
field line and the radial direction at 1AU, or wherever
eqn [1] is evaluated. This is called the spiral angle. The
geometry of the curved field line is precisely an
Archimedean spiral when v is constant and this is
one of the important predictions made by E. Parker
when he developed his theory for the solar wind in the
1950s and 1960s. Figure 5 illustrates two spirals
computed using eqn [1]. The tighter spiral above
results from low speeds,o500 km s� 1, and the spiral
angle is 4451 at 1AU. Conversely, the spiral angle at
1AU is o451 for speeds 4500 km s� 1. Parker
predicted that (f� f0)B451 (0.785 radians) at 1AU
and this is what has been measured for the average
spiral angle by several different spacecraft.

Corotating Interaction Regions

Solar rotation has an important effect on coronal
expansion through the interaction of fast and slow
wind. During the declining phases of the solar cycle,
Figure 2B, regions on the Sun producing slow wind
will sometimes face the Earth and at other times
regions producing fastwindwill face theEarth. Thus it
will often be the case, especially during declining
phases of the solar cycle, that slow wind will be
followed by fast wind. This is just the example
diagrammed in Figure 5. When this happens, fast
wind overtakes slowwind, the gas in betweenbecomes
compressed, and eventually shocks formwith forward
shocks moving away from the Sun and reverse shocks
moving toward the Sun in the frame of reference
movingwith the solar wind. This is called a corotating
interaction region (CIR) because it appears stationary
in the frame of reference rotating with the Sun. As the
plasma between the fast and slow wind becomes
compressed, the velocity profile is dynamically altered
and the CIR becomes stronger and stronger with
increasing distance until the shock forms. A simple
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Figure 4 Solar wind flow speed, density, and temperature between 2RS and 100RS, for coronal holes (yellow lines) and streamers

(black lines). These are typical values, with the possible range around

Figure5 Diagramof spiraling interplanetarymagnetic field (IMF)

lines. The dependence on solar wind speed is illustrated by the

more curved line at the top being for relatively slow wind and the

less curved line at the bottom being for fast wind.
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estimate for where the shocks will form can be made
using eqn [2], where the same definitions are used as in
eqn [1].

r� r0 ¼ v1v2
v2 � v1

f2 � f1ð Þ
O cos y

½2�

The quantity (f2 � f1) is the difference in longitude of
the source regions of fast and slowwind, v1 and v2 are
the slow and fast wind speeds, respectively, and r is the
estimated distance for shock formation. Taking
(f2 � f1)5 0.53 radians5 301, v1 5 400 km s�1, and
v2 5 800 km s� 1 gives r5 1.5 � 108 km5 1AU.Dur-
ing the declining phases of the solar cycle it is observed
that shocks generally form around 2AU, which is
consistent with eqn [2] since (f2 � f1) is more nearly
1 radian than 0.5 radians at those times. Forward
shocks are rarely observed at 1AU and reverse shocks
are only observed inB20%ofCIRs at 1AU. Equation
[2] was derived simply by calculating when the two
field lines shown in Figure 5 would cross. These field
lines are the same as the streamlines in the frame of
reference corotating with the Sun, and this is why eqn
[2] looks closely related to eqn [1].

CIRs have a very distinctive character, as seen in the
long series of CIRs observed byUlysses in 1992 when
itwas near the Sun’s equator.About five solar rotations
of the data are shown in Figure 6. At the time Ulysses
was atB4AU and fast wind had overtaken slowwind
to form shocks where the speed is seen to abruptly
jump upward as time progresses from left to right.
CIRs have important consequences for the Earth since
they can produce auroral activity andmagnetic storms

when they strike the Earth’s magnetosphere if the IMF
is also directed southward so that it can easily merge
with the Earth’s magnetic field. CIR-associated mag-
netic storms naturally tend to recur every solar
rotation – 27 days as viewed from the Earth owing
to theEarth’smotionaround the Sun.This activity also
has a distinct solar cycle signature as the Sun moves
through the phases diagrammed in Figure 2. Thus,
observation of coronal holes and streamers and the
phase of the solar cycle provides a basic tool for the
prediction of space weather and geomagnetic activity.
A further consequence of CIRs is that the resulting
shock waves produce large numbers of high-energy
particles or cosmic rays. These particles affect the
Earth’s ionosphere and the radio communications that
depend on the ionosphere.

Coronal Mass Ejections

Up to this point, a picture of the solar wind has been
drawn that depicts it as quasi-steady, changing only
slowly over the 11-year solar sunspot cycle. This is not
an accurate picture at any time, especially near solar
maximum. There are many forms of solar activity,
including flares and erupting prominences, but the
most dramatic is the release of a coronalmass ejection,
or CME.Apicture of aCME is shown in Figure 7. This
picture was taken from the SOHO spacecraft using a
telescope calledLASCO,whichplaces anocculter over
the solar disk so that the corona becomes visible,
producing an artificial solar eclipse. The occulter is
twice the size of the Sun, and the disk of the Sun is
indicated by the white circle. Off to the lower right of
the image is the CME. These are seen throughout the
entire solar cycle, but they are 5–10 times more
common near solar maximum, occurring at a rate of
3–4 per day. They occur in and near streamers,
confined to low latitudes near solar minimum but
reaching all latitudes at solar maximum.

When an interplanetary CME (ICME) strikes the
Earth, the consequences are similar to those of a large
CIR. The magnetosphere is compressed, auroral
activity increases, and a magnetic storm or substorm
may occur if the IMF in the ICME is directed
southward. Ionospheric activity is also affected. This
is therefore a phenomenon that is actively monitored
in the context of space weather.

OneCME is visible in the data shown in Figure 6. At
about 10 November 1992 the solar wind speed
increased to B1000 km s� 1. This is above any speed
for simple fast solar wind. Instead, what is seen here is
a fast ICME that has overridden a CIR. This could
have a doubly strong impact on the magnetosphere
owing to the large speed enhancement.
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Figure 6 Solar wind speed atUlysses during August–December

1992 when Ulysses was near the heliographic equator and at

B5AU. Five corotating interaction regions (CIRs) are shown,

occurring approximately every 25.5 days, or each solar rotation.

Viewing the plot from left to right, each CIR is characterized by a

sharp speed increasesat forwardand reverse shocksat the front of

the CIR, followed by the speed maximum. The speed then

decreases to a minimum before increasing in the next CIR. The

very high speed on 10 November 1992 is due to a coronal mass

ejection on top of the CIR.
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ICMEs are another phenomenon in the solar wind
that is only partially understood. The propagation of
an ICME can be modeled fairly well using computers
and a numerical solution of the equations of motion.
However, the basic mechanisms causing the initiation
of a CME are not known. CMEs are related to solar
magnetic activity such as flares and erupting promi-
nences, but that relationship is not so simple that one
can predict a CME for anything except the very largest
of these events.

The Solar Wind over the Life of the Sun

The IMF is not completely passive in the solar wind.
Because it is attached to the Sun, and has a small, but
finite strength, the IMF tends to cause the solarwind to
rotate with the Sun out to some distance above the
photosphere. In doing this, the IMF causes angular
momentum of the Sun to be transferred to the solar
wind. Generally this is a small effect, with the
corotation distance being 10–20RS at most, or
0.1AU. However, over the life of the Sun, the effect
can be important. Calculations of the angular mo-
mentum transfer suggest that the present-day solar
wind and IMF could easily have doubled the rotation
period of the Sun, from 12.25 to 25.5 days, over the
4.5 billion year life of the Sun.

Presently the solar wind carries away only a very
small amount of mass from the Sun – so small that if
assumed the same for 4.5 billion years it would have

removed only B0.01% of the total mass of the Sun.
However, the Sun changes over its life, as do all stars.
The Sun probably had a very vigorous wind early in its
life when the solar convection zone extended through-
out the entire volumeof the Sun. Later in its life the Sun
will go through a red giant phase, expanding outward
to envelop the Earth, and the wind may again become
quite strong. If the Sun undergoes a catastrophic
collapse to form a white dwarf then there may be one
or several episodes of impulsive mass ejection called
novae. However, the Sun is a relatively small and
inactive star; other stars can have quite different and
often far more intense winds.

Winds from Other Stars

Stellar winds are, as indicated above, common. One
means by which they are detected and analyzed is
through Doppler shifts in spectral lines. Another is to
infer the presence of the wind through analysis of
properties of the associated star. Stellar winds found
thisway are all far stronger than the solarwind, but the
reader should be cautioned that this is an observa-
tional selection effect. The Sun’s wind would be
invisible at stellar distances. If all stars were like the
Sun,wewould presently have noway to directly detect
their winds. However, many stars are larger, hotter,
denser, rotate faster, have stronger magnetic fields, are
younger, or are older than the Sun and consequently
have quite different kinds of winds. They fall into

Figure 7 A coronal mass ejection is seen in the lower right quadrant in this image from the LASCO coronagraph on SOHO. The Sun,

which is covered by an occulter that is 4RS in diameter, is indicated by the white circle.
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several categories that are in addition to winds like the
solar wind that are primarily driven by a thermal
pressure gradient.

Sound Wave-Driven Winds

In stars with a convection zone just below the
photosphere, the convective motions can generate
acoustic waves that propagate upwards through the
photosphere. The waves produce a wave pressure in
the atmosphere that results in an additional force
working against the stellar gravity. Cool stars have
convection zones of this type but the phenomenon is
normally important only for very low-gravity stars. To
make a massive wind requires something else in
addition to sound waves because sound waves will
normally dissipate low in the stellar atmosphere. The
dissipation of sound waves heats the atmosphere so
that there can be some crossover between thermally
driven winds and sound wave-driven winds.

Dust-Driven Winds

The outer atmospheres of luminous cool giant stars
and early type stars canbedrivenoutwardby radiation
coming from the photosphere of the star. In the case of
cool stars, dust can condense out of the atmosphere
and absorb photons over a broad range of wave-
lengths. The radiation pressure forces the grains
outward, dragging ions along by viscous drag if the
atmosphere is dense, thus forming a dust-driven wind.

Alfvén Wave-Driven Winds

Alfvén waves are waves dominated by fluctuations
transverse to the magnetic field direction. The restor-
ing force is the resistance of the magnetic field to
forming a kink, as opposed to the resistance of a gas to
being compressed in sound waves. These waves are
more important for starswith strongermagnetic fields.
The dissipation of energy and momentum associated
with Alfvén waves can lead to the acceleration of a
wind, just as in sound wave-driven winds. The waves
are formed by motions in the photosphere causing the
magnetic field line to be moved. Alfvén waves have
been suggested to be one source of the energy flux
driving the solar wind. However, it is not yet known
whether this is the dominant energy source. The
dissipation of Alfvén waves will heat the atmosphere
and increase the thermal pressure so that there is also
some crossover between thermally driven winds and
Alfvén wave-driven winds.

Radiation Pressure-Driven Winds

In these winds, atoms in the atmosphere of the star
resonantly absorb radiation coming from the photo-
sphere of the star. As might be expected, these winds

exist for stars that are brighter and hotter than the
Sun. Instead of 10� 4 solar masses being lost over the
life of the star, these stars can lose 10� 6 solar masses
in a single year. The flow speeds are typically
B2000 km s�1 and the density in these winds is
many orders of magnitude higher than in the solar
wind. The higher density means that the atmospheres
of these stars are far more opaque than the solar
corona. This is what enables them to absorb the
radiation coming from the star. In this case the
radiation pressure is the force that is working against
the gravitational field of the star. The force ceases once
the atmosphere becomes transparent as distance from
the star increases. In red giant stars the radiation
intensity is relatively weak, but the gravitational field
is also weak and the stars are nevertheless observed to
have radiatively driven winds. However, the strongest
radiatively driven winds come from hot supergiants.

Magnetic Rotator Winds

In discussing the solarwind over the lifetime of the Sun
we described how the magnetic field enhances the loss
of angular momentum from the Sun by causing the
ions and electrons to rotate together with the Sun as
they move outward. At the same time, there is also a
small outward centrifugal force, just as there is in a
centrifuge. This force is completely negligible for the
Sun, but one can imagine stars with stronger magnetic
fields thatmight have centrifugally drivenwinds; these
are called magnetic rotator winds.

The most obvious example of a magnetic rotator
wind is that from a neutron star. These stars have very
strong magnetic fields and centrifugal forces fill the
neutron starmagnetospherewith charged particles. At
some distance from the star, the azimuthal velocity of
the charged particles, as they are carried around the
star, reaches the speed of light. The surface at this
distance is the ‘speed of light cylinder’ and somewhere
in this region around the star the particles force the
field lines to open and they are released. This is how a
pulsar is formed, an extreme example of a magnetic
rotator.

Effects of Winds on Stellar Evolution and on the
Surrounding Interstellar Medium

Winds from stars are oneway inwhichmatter that has
been processed in stellar interiors reaches the inter-
stellar medium and becomes available for new star
formation; the other way is via novae and supernovae.
The composition of the wind reflects, but may not be
identical to, the composition of the star. Primordial
material will be processed and enriched in heavy
elements in this process.
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The solar wind serves as an example of this process,
even though the wind is relatively weak. The wind
moves outward to interact with interstellar material
that is always present in the galaxy. There is a contact
surface that divides interstellar material from solar
wind and the volume inside this surface is knownas the
heliosphere – that volume dominated by the Sun. The
solar system is moving through the local interstellar
medium at B25 km s� 1 – slow with respect to solar
wind speeds – and the stand-off distance in the
upstream direction is about 150AU. Beyond this
boundary lies pristine interstellar matter. In the
downstream direction the solar wind flows into a
heliotail that is analogous to the Earth’s magnetotail
and is the path by which the solar wind escapes and
mixes with interstellar matter.
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Glossary

Alfvén wave A bending wave in a magnetic field in
which the restoring force is due to the curvature of
the magnetic field. Named after Hannes Alfvén, the
Nobel prize-winning scientist who discovered the
wave.

AU Astronomical unit, themean distance of the Earth
from the Sun, 1.5 � 108 km.

CIR Corotating interaction region. The dynamic
interaction that occurs when fast solar wind catches
up with and compresses preceding slow solar wind.
See Figure 5.

CME Coronal mass ejection. See Figure 7.
Heliosphere The volume of space containing
solar wind, as opposed to the interstellar medium,
which is the Milky Way galaxy outside the helio-
sphere.

IMF Interplanetarymagnetic field. Themagnetic field
that is trapped in and carried along with the solar
wind.

LASCO Large Angle Spectroscopic Coronagraph. A
coronagraph on the ESA/NASA SOHO mission.

Photosphere The visible surface of the sun.
Radian A measure of angular distance. There are 2p
radians in a circle.

RS Radius of the Sun, 6.96 � 105 km.
SOHO Solar-Heliospheric Observatory. A joint ESA

and NASA spacecraft located at the L1 Lagrangian
point between the Sun and the Earth, about 0.01AU
toward the Sun from the Earth.

Solar Probe A future NASA mission to the Sun. Solar
Probe is designed to go within 3RS of the photo-
sphere.

Ulysses A spacecraft in a near-polar 5-year orbit
around the Sun.

See also

Convection: Convection in the Ocean. Electricity,
Atmospheric: Global Electrical Circuit. Ionosphere.
Magnetosphere. Radiation (Solar). Satellites: Orbits.
Solar Terrestrial Interactions.
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SOLITARY WAVES
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Definition

In the narrowest sense, a solitary wave is a single,
isolated wave crest which propagates steadily without
either steepening or widening. However, the concept
has been broadened by the discovery of many new
species of similar phenomena. Also, nonpropagating
‘coherent structures’, especially vortices, havemuch in
common with solitary waves. Thus, ‘solitary wave’ is
no longer a phenomenon but a theme. The theme is
nonlinear self-preservation of a crest or a vortex in the
face of opposing, disruptive forces.

Dispersion, Frontogenesis
and the Bell Soliton

The left curve in Figure 1 is a schematic of the simplest
solitary wave. It is called a ‘‘bell soliton’’ because its
shape resembles a church bell.

Waves are said to be ‘dispersive’ if the propagation
speed c of a sinusoidal wave varies with the wave-
length l. It is possible to superimposemany sinewaves
of different wavelengths tomake a bell shape, which is
centeredwhere all the crests are in phase.However, the
bell shape rapidly disperses into an ever-widening
patch of ever-shrinking ripples as illustrated in the
upper right ofFigure 1. In amarathon race, the runners
are elbow-to-elbow at the start, but disperse into an
ever-widening pack with the fastest runners in front

and the slowest runners falling farther and farther
behind at the rear. Wave dispersion is the same as
track-and-field dispersion: When waves travel at
different speeds, the disturbance must spread over
time unless some other mechanism intervenes.

One such mechanism is advective steepening. If the
fluid velocity is proportional to height, then an initial
bell shape will evolve a leading-edge front (Figure 1).
As the fast-moving tip overtakes the lower, slower
fluid, the trailing (left) edge is stretched while the
leading edge steepens (‘frontogenesis’).

In a solitary wave, dispersion and nonlinear steep-
ening exactly balance so as to create a wave which
propagates without change of shape.

History of Solitary Waves

Solitary waves were discovered by the naval architect
John Scott Russell in 1834. When a canal barge
hit an underwater obstruction and stopped suddenly,
Russell expected that the bowwavewould dissolve into
lots of little ripples through dispersion. Instead, a
smooth, bell-shaped crest perhaps half a meter tall,
independent of the cross-channel direction, emerged
from the froth. On horseback, he followed the un-
changing, steadily propagating crest for a couple of
kilometers until he lost it ‘in the windings of the canal’.

Russell later made solitary waves in a long, narrow
water tank. Dropping a square block into the water
produced a localized wave disturbance which speedily
organized itself into one or more solitary waves
followed by a few small dispersing ripples.

Forty years later, Rayleigh and Boussinesq showed
that

Aðx; tÞ � constantB2sech2ðB½x� ct�Þ ½1�

where the phase speed c is proportional to B2 where B
is a positive parameter that simultaneously controls
the width, speed, and amplitude of the solitary wave.

Korteweg and deVries (1895) assumed that the
wave was independent of the cross-channel direction,
as approximately true both on the canal and in
Russell’s water tank, and also that the horizontal
current was depth-independent (the shallow water
approximation). Thus, the only nontrivial spatial
coordinate is down the channel. The surface height is
then proportional to the solution Aðx; tÞ of the
Korteweg–de Vries (KdV) equation:

At þ c0Ax þ mAxxx þ nAAx ¼ 0 ½2�

Bell soliton

Dispersion

Advective steepening

Figure 1 A bell-shaped crest (left) will dissolve into little ripples

under pure wave dispersion; it will steepen and eventually break if

advective steepening is unopposed by dispersion. In a solitary

wave, dispersion and steepening exactly balance so that a bell-

shaped curve propagates steadily without change of shape.
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where the subscripts denote partial differentiation
with respect to the subscripted coordinate, and where
the coefficients depend on the water depth, channel
width and the gravitational constant.

Today, it is known that the KdV equation is generic
in the sense that it can be rederived for weakly
nonlinear long waves in a wide variety of physics and
engineering contexts, not just water waves. For 70
years after Korteweg and deVries, however, solitary
waves were only a curiosity, mentioned in textbooks
out of duty rather than conviction.

Zabusky and Kruskal in 1965 numerically integrat-
ed the KdV equation on a spatially periodic domain
and discovered that a large-amplitude initial sinewave
dissolved into a sequence of solitary waves. These
peaks collided elastically (that is, without loss of
energy from the colliding pair), as robust as if they
were elementary particles. Zabusky and Kruskal
therefore coined the name ‘soliton’ which is today
used as a synonym for solitary wave.

A couple of years later, Gardner, Green, Kruskal,
andMiura discovered the ‘inverse scattering’ method.
Although the KdV equation is nonlinear, the inverse
scattering method is an exact algorithm which solves
the general initial value problem for arbitrary time by
solving a sequence of linear subproblems.

The KdV equation has special solutions which
consist of N solitary waves of different sizes where N
is arbitrary. Tall solitons overrun shorter solitary
waves, collide elastically, and then all rematerialize in
their precollision amplitudes and widths.

The general KdV solution has two parts: a finite
number of solitary waves plus a dispersing wave train.
Except for rather special conditions, such as an initial
heightwhich is nonpositive, at least one solitarywave is
always generated, even fromwildly nonsolitonic initial
conditions, such as the bowwave of a canal barge. The
flow spontaneously either steepens or disperses so as to
evolve an exact balance between nonlinearity and
dispersion in the solitary waves even when these two
competingmechanisms are wildly imbalanced initially.

The following 10 years were the Golden Age of
Solitons. Envelope solitary waves, kink solitons and
other new species were discovered, each solving an
inverse-scattering-solvable generic partial differential
equation in (usually) one space dimension. For a time,
it seemed that the inverse scattering method was the
Algorithm for Everything. Then chaos theory blos-
somed, and it became clear that inverse scattering fails
for most physical systems including the three-dimen-
sional hydrodynamic equations.

The last quarter of the twentieth century has been
the Golden Age of the Generalized Solitary Wave.
Many species of coherent structures almost satisfy the
classical definition of a solitary wave. Further, non-

linear steepening can preserve vortices and other
moving structures even in the absence of wave prop-
agation. Monopoles, modons, and weakly nonlocal
solitons, described below, are important quasisolitons.

Solitary Vortices: the Vortex
in a Strain Field

Nonlinear self-preservation is not limited to waves.
Blobs of fluid are teased out into long, stringy filaments
by the ‘strain’ or ‘deformation’ field created by distant
vortices, pulled apart like taffy candy. However, if the
blob is a sufficiently strong vortex, its own self-
interaction will preserve it. A patch of uniform
vorticity will distort into an elliptically shaped vortex
with its long axis at an angle ofp=4 to the axis of strain,
as shown in 1971 by Saffman and Moore (Figure 2).

The vortex in a strain field is not in any sense awave.
Nevertheless, a vortex is a coherent, isolated structure
which is preserved by nonlinearity in the face of
disruptive mechanisms.

On a rotating Earth, a large vortex will drift
westward because of the beta effect – a wave-like
behavior. It is then impossible to speak of ‘solitary
waves’ and ‘isolated vortices’ as separate species. The
coherent structure is both wave and vortex.

A History of Isolated Vortices

Smoke rings were discovered by casual observation
long before there was any science of fluids. Any
smoker can make a ring merely by blowing out a
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Steady vortex in strain field

Figure 2 Thin arrows: a pure straining field. A patch of vorticity-

free fluid would be irreversibly contracted towards the x -axis and

stretched along the y -axis. If the fluid is a sufficiently strong vortex,

the patchwill be deformed into an ellipse (heavy curve)with its long

axis oriented at 451 to the contraction and dilation axes of the strain
field. The sense of rotation within the ellipse of uniform vorticity is

shown by the heavy double-ended arrows.
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mouthful of smoke. The smoke is trapped in a torus of
fluidwhich propagates away from themouth under its
own self-interaction. The propagating torus is a vortex
ring, rotating about its narrow diameter.

In the 1860s, Tait showed a trailing smoke ring can
overtake and pass through another, then slow to be
passed in its turn, as in the child’s game of leapfrog.
This robust survival of leapfrogging rings is reminis-
cent of the durability of KdV solitons under collisions
thatwas discovered byZabusky andKruskal a century
later. Anticipating their analogy of coherent fluid
structures with elementary particles, Lord Kelvin was
inspired by Tait’s experiments to create a theory that
atoms were vortex rings, and molecules were inter-
locking vortex rings.

Around 1900, Chaplygin and Lamb independently
discovered analytic solutions for a pair of contra-
rotating vortices, now usually called ‘modons’ or
‘Chaplygin–Lamb dipoles’. Three quarters of a centu-
ry later, Stern, Larichev and Reznik generalized these
solutions to incorporate the beta effect. Vortex pairs
form spontaneously through random near-collisions
of one-signed vortices in turbulence, through injection
of river and estuary flows into the oceans, and a variety
of other mechanisms.

Boyd generalized modons to vortex pairs that
straddle the equator in the early 1980s. For small
amplitude, these modons are well described by the
KdV equation and are classical ‘bell’ solitons in
longitude with the usual structure of linear equatorial

waves in latitude;most of the propagation iswavy, due
to the Rossby beta effect. As the amplitude increases,
equatorial modons develop pockets of recirculating
fluid, just as in Chaplygin and Lamb’s solutions, and
thewestward propagation ismore andmore due to the
mutual interaction of the two vortices.

One can no more say that an equatorial modon is
either a wave or a vortex pair than one can assert that
the color purple is either red or blue.

Periodic Generalizations of Solitary
Waves: Cnoidal andPolycnoidalWaves

The adjective ‘solitary’ is as misleading as ‘wave’.
Korteweg-deVries showed that the KdV equation has
an exact elliptic function solution they dubbed the
‘cnoidal wave’. This is spatially periodic with an
arbitrary period. In the limit of small amplitude for
fixed period, the cnoidal wave is an ordinary cosine
function. The large-amplitude cnoidal wave has a
single, narrowpeakwhich iswell approximated by the
sech2 shape of the solitarywave (Figure 3). The soliton
is just a limiting case of the cnoidal wave.

Eighty years later, Toda proved that the cnoidal
wave is the exact sumof an infinite number of copies of
the solitary wave where the copies are evenly spaced,
one centered on each spatial period. This sum-of-
solitons relationship is true even in the small-ampli-
tude regime (foreground of Figure 3) where Aðx; tÞ is
also well approximated by the cosine function. This
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Figure3 TheKdV cnoidal wave as a function of x (for fixed time) and amplitude a. For small amplitude (foreground), the cnoidal wave is

sinusoidal. As the amplitude increases, the peaks become taller, narrower, and more soliton-like.
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nonlinear superposition principle has since been
extended to many other wave equations.

Similarly, the KdV equation has exact analytical
N-soliton solutions on an unbounded spatial interval
which have been extended to spatially periodic exact
solutions. These generalizations, which are ratios of
multidimensional theta functions, are called ‘N-poly-
cnoidal’ waves where the cnoidal wave is the special
case N ¼ 1. Polycnoidal waves depend on N inde-
pendent phase speeds. It can be proved that the general
solution to the KdV equation with periodic boundary
conditions can be approximated to arbitrary accuracy
by a polycnoidal wave of sufficiently large N and
appropriate phase speed and amplitude parameters.

Thus, solitarywaves need not be solitary.This is true
for solitary waves in general and not merely for KdV
solutions. Because solitons usually decay exponenti-
ally with distance from the core of the structure, a pair
of solitons can be rather close and yet have a negligible
dynamic interaction.

Weakly Nonlocal Solitary Waves

If the phase speed c of a coherent structure is
multivalued in the sense that there are infinitesimal
amplitude waves of some wavenumber k that have the
same phase speed as the structure, then the solitary
wave will not decay to zero at large distances from its
center, but will instead radiate waves of wavenumber
k. In many cases, the amplitude of the radiation is
exponentially weak so that the structure behaves very
much like a classical solitary wave. Such structures are
called ‘weakly nonlocal’ solitary waves (Figure 4).

Ironically, water waves, the prototype of solitons,
are weakly nonlocal. The solitary wave radiates

capillary waves, but these were too small for J. S.
Russell to observe.

Weakly nonlocal solitary waves are found in all
branches of physics and seem to be just as common as
classical, decay-to-zero solitons. Baroclinic vortices
and solitons, for example, areusuallynonlocal through
weak radiation in the barotropic vertical mode.

A Bestiary of Solitary Waves and
Coherent Vortices

Figure 5 shows the diversity of solitary waves and
coherent structures. The six species illustrated are only
a set of interesting creatures from a much larger zoo.

Bell solitons, such as those that solve the KdV
equation, have been described above.

An ‘envelope solitary wave’ is the product of a
sinusoidal ‘carrier wave’ with a slowly varying ampli-
tude factor called the ‘envelope’,which is dashed in the
figure. The envelope solves the nonlinear Schrödinger
(NLS) equation.

‘Breathers’ are solitary waves whose amplitude
oscillates in time. The breather may be either station-
ary or propagating, but the period and amplitude of
the ‘breathing’ oscillations never changes. The sine-
Gordon, self-induced transparency (SIT), and f4 field
theory equations have breathers.

‘Kinks’, also known in some contexts as ‘travelling
shocks’, occur in both inviscid models (such as the
sine-Gordon equation) and viscous equations, such as
Burgers’ equation and the Kuramoto–Sivashinsky
(KS) equation. Viscous shocks seem a paradox since
mechanical energy is being damped and yet the shocks,
like solitary waves, are independent of time except for
a steady propagation. The plateaus, extending indef-
initely away from the shock, act as limitless reservoirs
of energy to sustain the shock. Real kinks do not
extend indefinitely, but are consistent local approxi-
mations to coherent structures of finite width.

Vortices, whether monopoles or modons, are not
always identified as solitary waves. If the diameter of
the vortex is sufficiently small compared to the radius
of the Earth, then wave effects may be only a small
correction to vortex dynamics. However, vortices
often exhibit the same robustness and nonlinear self-
preservation as KdV solitons.

Monopole vortices have vorticity which is every-
where of the same sign except perhaps for an annular
ring surrounding the core.Modons are pairs of contra-
rotating vortices as described earlier. These have a
strong nonlinear translation, indicated by the hollow
arrow in the figure, which is augmented or opposed by
westward Rossby wave propagation.

Core

WingWing

Figure 4 The ‘core’ of a nonlocal solitary wave is similar to a bell

soliton, but the wave decays to small amplitude sinusoidal ‘wings’

instead of to zero.
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Solitons and Coherent Vortices
in the Ocean

In the Andaman Sea, tidal flow triggers regular trains
of internal gravity solitons. These are visible in satellite
photographs as long parallel streaks and are well
modelled by the KdV equation.

When the Gulf Stream separates from the coast at
Cape Hatteras, it develops unstable, amplifying mean-
ders that eventually roll up intoGulf Streamrings.Most
‘coldcore’ ringsperish in a fewmonthsby reabsorption,
but the few that drift south of the Gulf Stream live a
couple of years in the Caribbean. This is an order of
magnitude longer than the lifetimeofa small-amplitude
Rossbywave of the same initial size (roughly 200km in
diameter). Similar coherent, long-livededdies split from
the Aghulas Current off South Africa.

The high evaporation of the Mediterranean Sea
creates dense, salty water that flows out through the
Straits of Gibraltar into the Atlantic Ocean. As it sinks
to a depth of 1000meters, the anomalously hot-and-
salty water rolls up into anticyclonic vortices called

‘Meddies’. These spinning lens-shaded masses, per-
haps sixty kilometers in diameter and a kilometer
thick, have lifetimes of half a dozen years or more.

Smaller coherent vortices, both monopoles and
dipoles, are very common. Dipoles with long stems of
vorticity are called ‘mushroom vortices’ from their
shape. These are easily made in the laboratory merely
by injecting a jet of fluid into a rotating tank. River
outflows and melting at the edge of the icepack are
prolific generators of such vortex pairs, a few kilome-
ters in diameter.

Solitarywaves and isolated vortices and vortexpairs
seem to be very important components of ocean
dynamics. There is room here to catalog only a small
subset of the rather wide range of observed species.

Why Atmospheric Solitons are
Vertically Trapped

When a wave propagates upward into thinner and
thinner air with weak or negligible dissipation, its

Bell Envelope

Breather
Kink

Monopole vortex

Modon

Figure 5 A selection of soliton species.
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amplitude u grows so that the energy flux remains
constant even as the mass density decreases expo-
nentially with altitude. A steady balance between
nonlinearity and dispersion cannot occur because the
nonlinearity is steadily increasing with height. In
contrast, the dispersion depends only upon the wave-
lengths of the sinusoidalwaves that comprise thewave
pulse and thus does not change with height.

However, somewaves are reflected bywind shear or
static stability variations at some level, thus being
trapped below the reflection height. Only such ‘verti-
cally trapped’ waves can form solitons.

The ocean is a bounded fluid of almost constant
density, so the difficulties of propagation to space and
vertically increasing nonlinearity do not arise. This is
one important reason why solitary waves are more
readily observed in the ocean than in the atmosphere.

Atmospheric Solitary Waves

New species of atmospheric solitary waves and new
applications of previously studied types are inevitable.
The following three examples are representative of the
diversity of ‘soliton thinking’ to date.

Internal Gravity Waves: the Morning Glory

A low-level temperature inversion can create a layer of
very stable air in the lowest kilometer or two of the
atmosphere. Internal gravity waves are vertically
trapped, and then can be reshaped by nonlinearity
into a sequence of solitary waves. This mechanism

operates all over the world. In particular such gravity
solitons have been detected by Doppler radar and
surface networks in Oklahoma. On the shores of the
Gulf of Carpentaria in Northern Australia, conditions
are especially favorable to generate such soliton trains,
and to further make the soliton crests visible through
condensation. These trains of roll clouds are known as
the Morning Glory (Figure 6).

The waveguide is leaky, so these solitary waves are
‘weakly nonlocal’. Indeed, the upward leakage is so
strong that recent articles have argued that convective
forcing may be as important as soliton dynamics in
sustaining the crests as they roll in from the Gulf.

Great Red Spot of Jupiter

The Great Red Spot (GRS) is an anticyclonic, eye-
shaped vortex embedded in a shear zone between
alternating East–West jets at about 201 S latitude on
Jupiter (Figure 7). It has been spinning for at least three
centuries with only minor fluctuations in amplitude
and appearance. It is an isolated vortex in the sense
that it is the only large feature in the shear zone.
However, it cannibalizes smaller eddies that appear on
the edges of the zone, and this may help to sustain the
GRS against losses to viscosity and radiative damping.

A KdV theory has produced plausible agreement
with observations; the eddy is both a vortex and a
Rossbywave.Numericalmodels byG.WilliamsandS.
Marcus offer a vivid explanation of GRS genesis.
Generically, shear instabilies roll up into a string
of vortices. Such chains of same-sign vortices are

Brunt–Vaisala

frequency

Top of waveguide

Very

stable

layer

Weakly

stable

layer

z

Figure 6 Schematic of the AustralianMorningGlory. Left: the vertical profile of Brunt–Vaisala frequency after convection has created a

very stable, well-mixed surface layer. When sea breezes collide at night over Cape Yorke Peninsula, this excites a gravity wave

disturbance which is trapped in the bottom layer by reflection from the interlayer boundary (dashed line) where the stability changes

abruptly. The disturbance spontaneously organizes into an undular bore as it propagates over the Gulf of Carpentaria. Each peak is a

solitary wave, and its updrafts cause condensation (shaded). The roll clouds may extend for over 100 kilometers perpendicular to the

direction of propagation, which is indicated by the large arrow.
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unstable to vortex mergers, and eventually a single
large quasisteady vortex emerges as the end-product of
the instability. But Jupiter is banded with many
alternating jets; why is there a strong vortex in only
one of these, and only in the Southern Hemisphere?

Atmospheric Blocking

Atmospheric ‘blocking’ is the formation of a quasista-
tionary vortex or vortex pair over mountains which is
sufficiently strong to block the usualmid-latitude storm
track, forcing weather systems to detour around the
block. There are many conflicting theories of blocking.
However, the block is certainly a finite amplitude,
quasistationary coherent structure that propagates
westward against the prevailing westerlies so as to
remain fixed above the mountain range. Much theo-
reticalworkhas explored the idea thatmountain chains
are able to excite coherent blocks because the forcing is
resonant: the forced solutions are very strong because
they are close to unforced, finite-amplitude vortex pairs
(modons). Because the forcing is weak, the modon
paradigm is much more useful for blocks than for
strongly forced-and-damped vortices like hurricanes.

Misconceptions

1. Solitary waves are necessarily waves.
Vortices and travelling shocks display the same
nonlinear self-preservation as KdV solitons, and
may move under a mixture of advection and
Rossby wave dynamics.

2. Solitary waves are solitary; periodic waves have
nothing to do with solitons.
Wave crests and coherent vortices may be very
close geographically and yet have almost no

dynamic interaction. Chains of crests that appear
wavy or sinusoidal may in fact be weakly interact-
ing solitary waves.

3. Solitary waves are small amplitude only.
This misconception was created by the derivation
of the KdV and other simplified wave equations,
which usually employ expansions in powers of the
amplitude. However, numerical solutions show
that the solitary waves do not magically cease to
exist above a tiny limiting amplitude. Instead,
solitons persist as a continuous family of solutions
to such large amplitude that the soliton contains
entrained fluid that is trapped within the structure
as it propagates. ‘Small amplitude’ is a restriction
of the mathematics, not physics.

4. Solitary waves are one dimensional.
The KdV equation has only a single space coordi-
nate. However, KdV theories often multiply the
KdV solution, Aðx; tÞ, by a function YðyÞ which is
spatially confined because of Coriolis refraction, as
true of equatorial solitarywaves, or shear trapping,
as in the Great Red Spot of Jupiter.

5. Solitary waves are unforced and inviscid.
Travelling shocks of Burgers and the Kuramoto–
Sivashinsky equations are solutions to viscous differ-
ential equations. Furthermore, weakly forced and
damped nonlinear structures may be accurately ap-
proximated by unforced, undamped solitons. How-
ever, the soliton paradigm is not very useful when the
forcing dominates the flow, as true of hurricanes.

The ‘Leonardo–Kolmogorov Duality’

Leonardo da Vinci, who sketched turbulent streams
and scribbled notes on what he called turbolenza in
1500, seems to have known that turbulence could only
be described (or painted!) as amixture of coherent and
random motion. Science progresses through a willful
blindness to some aspects of a phenomenon to
think deeply about others. (In a language of Papua
New Guinea, this is ‘mokita’, which means ‘things we
all know but agree not to talk about’.) Kolmogorov in
1941 made the first great breakthrough in tubulence
by willfully ignoring the coherent structures, and
pretending that turbulence is purely random.

TheVoyager photographs of Jupiter showed instead
what Frisch has called the ‘Leonardo–Kolmogorov
duality’. The Jovian atmosphere is neither completely
coherent and predictable nor completely random.
Instead, the ‘Leonardian’ Great Red Spot, which is a
solitary vortex, coexists with a seething Kolmogoro-
vian sea of billowing, fluctuating, random-appearing
turbulence. The mystery of this soliton/random dual-
ity challenges our understanding today as it challenged
Leonardo’s pen five centuries ago.

Figure7 Schematic streamlines and velocity arrowsof theGreat

Red Spot of Jupiter.
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See also

Downslope Winds. Hydraulic Flow.
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Introduction

Soot (also often called black carbon, charcoal, ele-
mental carbon, or graphitic carbon) is produced by
incomplete combustion of carbonaceous materials.
Soot is found everywhere on Earth, including the
atmosphere, oceans, sediments, soil, and ice sheets. It
is also found inmeteorites, may be present in asteroids
and comets, and is believed to be responsible for dark
absorption bands observed in stellar spectra. Soot is
even suspected of participating in the initiation of life
processes.

In the atmosphere, particularly in the boundary
layer, soot is a major component of aerosols that
strongly absorbs solar radiation. Soot particles, when
combined with sulfates, nitrates, sea salt, and organic
particulate carbon present in the atmosphere, can
serve as cloud condensation nuclei. Soot particles
inside cloud droplets increase the absorption of solar
radiation by droplets and modify droplet size distri-
bution. Soot also provides a suitable surface and serves

as a catalyst for various atmospheric heterogeneous
chemical reactions. Thus soot is an important constit-
uent of the atmosphere that affects atmospheric
chemical composition and atmospheric radiation
balance through both its direct effects (absorption
and scattering of solar radiation) and its indirect ones
(modifying the formation and lifetime of clouds and
the size distribution of droplets).

Soot contributes to atmospheric pollution. It reduc-
es visibility and is also blamed for a variety of adverse
health effects including a long list of respiratory
diseases and various cancers.

The main sources of soot in the atmosphere are
biomass burning and fossil fuel combustion. Soot is
the only material suspended in the atmosphere with a
long residence time (up to 10 days) that strongly
absorbs electromagnetic radiation of all wavelengths.
Other atmospheric aerosols have either a very low
absorption (sulfates, nitrates, sea salt and organic
particulate matter) or a moderate absorption (soil and
mineral dust) at visiblewavelengths. From this follows
the unique role of soot in the atmosphere as the only
component of the atmospheric aerosol which strongly
absorbs the visible part of solar radiation.

Carbon is a major component of all living material.
Carbonaceous particles produced by biomass burning
or fossil fuel combustion span a large range of sizes.
Particles with diameter over 10 mm are subject to fast
gravitational settling and are removed from the
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atmospherewithin a short distance from their sources.
On the other hand, submicrometer-sized particles
remain suspended in the atmosphere for several days
and are transported over long distances. Black carbon
(soot) has been found at all places on the globe,
including the most remote areas in Antarctica.

Carbon has atomic number Z ¼ 6. There are two
stable carbon isotopes, 12C and 13C, and four radio-
active ones: 10C, 11C, 14C, and 15C. The 14C isotope is
used for carbon dating. The carbon atom has 6
electrons, and 4 of them are in the outer (2S and 2P)
electron shells. These 4 valence electrons are available
to form stable covalent bonds (shared pairs of
electrons between 2 neighboring atoms) with other
carbon atoms or atoms of other elements. Carbon
atoms can thus form chains or rings of high complex-
ity. If all 4 electrons are used in covalent bonds, the
resulting materials are generally transparent in the
visible part of the electromagnetic spectrum. On the
other hand, if not all valence electrons are used for
covalent bonds then the unused electrons can form a
cloud of non-localized electrons, as in graphite, and
the material will start showing a definite degree of
absorption and anisotropic electric conductivity.

There is an enormous variety of organic compounds
of carbon. They are compounds primarily of carbon
with oxygen, hydrogen, and nitrogen, although com-
pounds with a number of other elements, including
sulfur, phosphorus, and halogens, are also formed.
When heated, all organic substances have one thing in
common: they always produce, in addition to steam
and carbon dioxide, a black material commonly called
the char, soot, black, or elemental carbon. This is due to
the fact that almost all of the combustion processes
taking place are incomplete (oxygen-deficient): they do
not provide sufficient oxygen for the full oxidation of
the fuel, and generally someof the carbonwill end up in
a condensed phase rather than in gaseous oxide form.

Graphite and Black Carbon

The two basic forms of solid elemental carbon are
diamond and graphite. They differ from each other in
the form of lattice structure into which carbon atoms
are arranged. This difference leads to vast dissimilar-
ities in physiochemical and optical properties between
the two carbon forms.

Graphite has a structure of a planar hexagonal lattice
with 4 carbonatomsper primitive cell.Within the lattice
plane eachcarbonatomisbound to3neighboringatoms
by strong covalent bonds. The 4 valence electron of each
atom contributes to a relatively weak bond between
planes of hexagonal lattices. These electrons are not
bound to any particular carbon atom (nonlocalized
electrons) and they can move relatively freely within a

periodic potential formed by a hexagonal lattice of
carbon atoms in graphite. Nonlocalized electrons are
responsible for good electric conductivity of graphite in
the basal plane of the hexagonal structure and for its
absorption properties in the visible part of the electro-
magnetic spectrum. Separation between lattice planes is
about 2.4 times the nearest neighbor distance (about
0.142nm) within the plane. Graphite is often called a
semimetal, indicating that it has some properties similar
to that ofmetals.However, its effective density of charge
carriers is of order 1018 cm� 3; several orders of magni-
tude below that of typical good metals (1022 cm� 3).

In the diamond lattice, the 4 nearest neighbors form
the vertices of a regular tetrahedron; all 4 valence
electrons of each carbon atom are used to form strong
covalent bonds with the four nearest neighbors. There
is no planar anisotropy and no free electrons. A
diamond is an extremely hard, high-density, transpar-
ent nonconductor.

The basic characteristic of graphite and the basis of its
high absorption in the visible part of the spectrum is its
planar hexagonal structure. Whenever a sufficiently
large number of carbon atoms get arranged in the form
of aplanarhexagonal lattice, some electronswill beonly
weakly bound to their respective atoms; they will form
almost a free electron cloud and the material will
manifest an increased conductivity and light absorption.
This happens even if there are other atoms involvedwith
carbon,as longas thenumberofotheratoms is relatively
small (usually below 20% by mass). Such a material,
which is not a pure graphite, but at least partially
manifests the basic graphite characteristics (elevated
conductivity and increased absorption at visible wave-
lengths), is generally referred to as black carbon. There
are twoways inwhichcarbonatoms canbe induced into
the planar hexagonal lattice: either through a process of
soot formation (high-temperature combustion) or by
charring (lower-temperature burning).

Particulate Emission by Fossil Fuel
and Biomass Burning

Particulate material ejected into the atmosphere dur-
ing combustion processes contains soot, charcoal and
ash. Ash originates from an inorganic component of
fuel. Its mass is usually small (around 1%) compared
with the mass of other forms of particulate matter
ejected to the atmosphere. Unburned hydrocarbons
react with atmospheric oxides of nitrogen and solar
radiation to form smog.

Soot

Soot production generally proceeds through conden-
sation of vaporized organic matter, usually through a
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number of polycyclic aromatic hydrocarbons (PAH).
This is a complex process involving, first, the produc-
tion of benzene and acetylene from the original
biomass of fossil fuel. It is believed that most fuels
break down into the same species at the beginning of
the sooting process. In the second step of soot
formation, the acetylene and benzene are transformed
into the phenyl, a simple aromatic hydrocarbon with
just one ring. The chain of aromatic rings then grows
through a fast polymerization process (replacement of
hydrogen atoms by C2H2 groups). With an increasing
number of aromatic rings, a nucleus of a soot particle is
formed. Some models consider four rings to be
sufficient for soot nucleation. Thus the soot is
produced by gas to particle conversion. A typical size
of a soot nucleus is a few nanometers. The nucleus
grows by additional condensation and coagulation.
Freshly produced soot particles are almost spherical
and they have tendency to form, through coagulation,
chainlike structures with fractal geometry (Figure 1),
with a fractal dimension of about 1.8. Soot production
takes place at high temperatures, above 10001C,
during the fossil fuel combustion or during the flaming
stage of biomass burning.

A mature soot particle is typically composed of a
stack of layers, each of them having a graphite-like
hexagonal structure. Not all layers are arranged in a
parallel fashion. In addition to carbon, soot contains
remnantsofother elementspresent in theoriginal fuel.A
typical carbon content of soot is between 90 and 98%.
Soot X-ray analyses indicates the presence of
a regulargraphite structure throughout the soot volume.

Generally, fuels with higher C/H (carbon-to-hydro-
gen) ratio produce more soot. For a given amount of
fuel, the variable flow conditions produce more soot
thana steady-flowregime. Soot canalsobeproducedby
the oxidation of almost pure elemental carbon. At high
temperatures, a carbon vapor is formed, which in

colder regions, away from the flame, condenses to form
solid carbon structures. In thiswaygraphite-like soot as
well as the famous fullerenes C60 and C70 are formed.

Charcoal

Charring of organic materials starts at temperatures
considerably lower than that of soot formation.
Burning of food during cooking (i.e., the production
of nicely black toast) is an example of low-temperature
charring.At temperatures above about 3001C,most of
the organic materials undergo a slight thermal decom-
position; hydrogen and other noncarbon elements are
stripped from carbon chains and rings and the carbon
condenses into a graphite-like structure.Thedensity of
black porous residuum depends on the mass ratio of
carbon to other elements in the original material.

X-ray analysis confirms that at temperatures above
3001C the hexagonal, graphite-like structure begins to
form. This structure becomes more evident and more
regular with an increasing temperature of oxidation.
As hydrogen and other elements (e.g., nitrogen and
sulfur) are released to the atmosphere and carbon
atoms start forming the basic planar hexagonal
structures, the optical properties of the material
undergo a drastic transformation. With an increasing
number of planar hexagonal rings, there is an increas-
ing number of nonlocalized, almost free, electrons,
and the material starts showing some of the graphite
characteristics, especially an increased absorption of
visible electromagnetic radiation. Original organic
material becomes dark brown or black.

In the case of biomass burning the charring process
takes place during the smoldering phase. Fossil fuel
combustion often produces carbonaceous particles
that are in a formof hollow spheres (cenospheres) or of
spongy spherical structures (Figures 2 and 3).

The sizes of particles produced by charring are from
submicrometer to several hundred micrometers.
Smaller sizes are uplifted during the turbulent condi-
tions produced by localized heating. They reside in the
atmosphere for an extended time and are transported
over long distances.

Organic and Black Carbon

Regarding aerosol radiative effects, the total carbon in
atmospheric aerosols (excluding inorganic carbon in
the formof carbonates as a part of soil andmineral dust
particles) is usually divided into so-called organic and
black carbon. This division is based not on aerosol
chemistry, but rather on the aerosol optical properties.
Carbon of atmospheric carbonaceous aerosols that
absorbs visible radiation strongly is called black
carbon; the remaining carbon (carbon of nonabsorbing
carbonaceous particulate matter) is organic carbon.

Figure 1 Morphology of freshly produced soot, showing a

characteristic chain-like structure of nanometer-size soot particles.
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The black carbon defined in this way contains pure
graphite (elemental carbon), soot, and charcoal as well
as their internal mixtures and their mixtures with
organic carbon. Black carbon generally resists oxida-
tion at temperatures below about 4001C,while organic
carbon is oxidized easily at lower temperatures.

The separation of total carbon into organic and
black carbon is not unambiguously defined chemical-
ly. Some of more complex organic compounds may
show a substantial absorption in the range of visible

wavelengths. Should they be a part of organic or of
black carbon? Ifwe are interested in radiative effects of
carbonaceous aerosols then all absorbing material
should be kept in a category of black carbon. On the
other hand, if we are interested in chemical reactions
of organic aerosols then we may keep even absorbing
organic compounds in the inventory of organic (rather
than black) carbon. From the point of view of
absorption of solar radiation in the atmosphere, it is
reasonable to divide the total carbon into organic and
black carbon, even if this division is not chemically
well defined.

Black Carbon Measurements

Black carbon (soot) properties, such as density,
absorption coefficient, size, and morphology
are highly variable. They depend on conditions of
generation, source strength, atmospheric transport,
transformations due to mechanisms such as catalytic
surface reactions, and their degree of mixing of black
carbon with other atmospheric particles as well as of
their removal due towet and dry deposition processes.

Measurements of mass concentration, absorption,
and size distribution of black carbon are relatively
sparse up to the late 1970s, owing mainly to lack of
suitable instrumentation.

An increased interest in the role of soot in the
atmosphere brought about the development and
evaluation of new analytical methods and measuring
techniques.

Mass Concentration and Size Distribution

Most soot size distribution measurements have been
obtained from filter samples using multistage impac-
tors combined with either conventional or transmis-
sion and scanning electron microscopy. More recent
techniques include the use of an optical scattering
aerosol sizing probe equipped with a heated intake.

Soot particle size resides predominantly in the
submicrometer accumulation mode regime, with a
geometric mean diameter in the range 0.05–0.2 mm
and with a geometric standard deviation 1.33 to 2.0.
The average particle size increases with time during
long-range atmospheric transport.

Typical soot mass concentration values (Table 1)
range from about 1 ngm�3 for remote Antarctic
locations to more than 1mgm�3 for polluted urban
air. The number concentration varies from about 0.1
to 4100 cm� 3.

The mass extinction coefficient in polluted urban
environments has typical values in the range 10� 3 to
10�4m� 1, while representative values for a more
remote atmosphere arer10� 5m�1.

Figure2 A typical black carbon (charcoal) particle structure from

a coal-fired power plant. (Photograph by R. Cheng; reproduced

with permission from Chylek P, Ramaswami V, Pinnick R, and

Cheng R (1981). Optical properties and mass concentration of

carbonaceous smokes. Applied Optics 20: 2980–2985.

Figure 3 Black carbon (charcoal) particle structures from an oil-

fired power plant (Photograph by R. Cheng; reproduced with

permission fromChylek P, Ramaswami V, PinnickR, andChengR

(1981). Optical properties and mass concentration of carbon-

aceous smokes. Applied Optics 20: 2980–2985.
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Black Carbon in Precipitation

The removal of black carbon from the atmosphere is
believed to be primarily by wet deposition. However,
there are only a few measurements of black carbon
concentration in rain and snow. The method used
consists of the filtering of collected precipitation
through quartz fiber filters, followed by a thermo-
optical method of determination of the amount of
black carbon on the filter. The range of black carbon
concentration measured in rainwater and in snow is
summarized in Table 2.

Black Carbon in Ice Cores

Ice cores preserve the information concerning the state
of the atmosphere at the time of snow deposition
(analysis of ice and aerosols) and at the time of
enclosure of air bubbles (analysis of gases trapped in
bubbles). Black carbon concentration in ice cores can
be used to deduce the information concerning the past
climate and the effect of man’s activities on the
atmosphere.

The black carbon concentration changes in Alpine
glaciers indicate the increase of atmospheric black
carbon concentrationdue to an increase in the regional
industrial activities. On the other hand, no increase in
black carbon concentration has been found in several
analyses of Greenland ice cores. A comparison of
black carbon (soot) concentrations found in the
Greenland Summit GISP2 (Greenland Ice Sheet
Project 2) ice core dated to around the years

320–330 AD and recent (1989–1990) snow from the
same location suggests the same average concentra-
tion of about 2 ng g� 1 (Figure 4).

Optical constants of Black Carbon
(Soot)

Determination of the complex refractive index
m ¼ nþ ik, where i is an imaginary unit, n and k are
real and imaginary parts of refractive index, respec-
tively, is a difficult task for soot or atmospheric black
carbon. A number of different approaches have been
made to determine the refractive indices of soot
carbon.

One of the principal methods used has involved the
measurement of reflectivity of electromagnetic radia-
tion from polished soot-like materials. Reflectivity
methods have been applied to soot material, which
has been compressed into pellets with nearly specular
surfaces. The compression does not result in a uniform
carbon material, but contains voids, which have to be
considered in thedeterminationof theoptical constants.

A combination of transmission and reflection has
been used on an amorphous thin film of carbon.
Another approach has involved extinction measure-
ments for a suspension of carbon particles (of mean
diameter 75 nm), which overcomes uncertainties as-
sociated with purity, crystal microstructure variations
and void fraction of the sample. Indirect determina-
tion of the refractive indices of flame soot has been
carried out in situ using light scattering combinedwith
extinction measurements. However, the soot particle
size and number concentrations were not measured
directly.

Table 1 Summary of black carbon (soot) measurements

Region Extinction coefficient

(m� 1)

Mass concentration

(mgm� 3)

Remote

(Antarctic/Arctic)

1� 10� 8 0.001

Mid troposphere 1–3�10�8 0.001–0.003

Marine 1–5�10�7 0.01–0.05

Rural/continental 1–5�10�6 0.1–0.5

Urban 1–4�10�5 41.0

Table 2 Black carbon concentration in cloud water and in

precipitation

Type of cloud or precipitation Black carbon (mg kg� 1)

Marine Stratus, North Atlantic 8–60

Stratocumulus, eastern Pacific 20–80

Rain Water, eastern Canada 1–11

Rain Water, Seattle 3–400

Snow, eastern Canada 1–32

Snow,NewMexicoandwesternTexas 5–16

Snow, Cascade Mountains 22–59

Snow, Camp Century, Greenland 2–3

Snow, Antarctica 0.2
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Figure 4 Comparison between soot concentrations (ng g�1) in

the Greenland Summit GISP2 ice core dated about 320–330 AD

with that in recent snow (1989–1990) from thesame location.There

is no changeof anaveragesoot concentration in remoteGreenland

location between the current snowand the ice coremore than 1700

years old. Large, ancient forest fires somewhere in the Northern

Hemisphere are represented by peaks in soot concentrations

around the years 324 and 326 AD.
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A summary of measured optical constants of soot is
presented inTable 3. The variability in the data can be
attributed largely to factors such as degree of sample
homogeneity, compositional change such asC/H ratio,
density, sample preparation, etc. Recommended val-
ues for the refractive index of black carbon within the
wavelength range from 0.3 to 1.5 mm (measurements
indicate that the parameters do not greatly change
with wavelength in the solar spectrum region) are:
m ¼ ð1:9 to 2:0Þ þ ið0:7 to 1:0Þ.

Effect of Soot on Radiative Properties
of Aerosols and Clouds

When soot gets incorporated inside cloud droplets or
within a composite aerosol particle (to form an
internally mixed aerosol) it modifies their radiative
properties. The main effect of soot is to increase the
absorption by droplets and aerosol particles. Since
soot exhibits a strong absorption at all wavelengths
from UV to far infrared, while liquid water has a
strong absorption only in the infrared region, it is
mainly the absorption of the visible and UV radiation
that is enhanced by the presence of soot.Consequently,
the presence of soot will decrease the single scattering
albedo,o, at visiblewavelengths of cloud droplets and
aerosol particles.

The intensity of the electromagnetic field within a
water droplet or sulfate aerosol is higher than the
intensity in free space, owing to the focusing effect of
the droplet. On average, a soot particle within a
droplet, or as an internally mixed aerosol, will absorb
more than twice as much of the incoming radiation
than (externally mixed) soot in the free atmosphere.

Effective Medium Approximation

The single scattering albedo (the ratio of the scattering
to the sum of the scattering and absorption cross-
sections) of a spherical aerosol particle or water
droplet can be calculated using the standard Mie
scattering formalism. Mie scattering calculations re-
quire as input the size of a spherical particle and its
refractive index. A refractive index of a composite

particle (a droplet of given material with soot inclu-
sions inside) can be calculated using an effective
medium approximation. For soot inclusions consid-
erably smaller than the wavelength of a considered
radiation, the Maxwell–Garnett effective medium
approximation with soot inclusions surrounded by
watermatrix (or othermaterial of the original particle)
is an appropriate form of an effective medium
approximation. The effective refractive index, meff,
of a composite droplet is given by

m2
eff ¼ m2

0 1þ 4f ðm2
c �m2

0Þ
m2

c þ 2m2
0 � 2f ðm2

c �m2
0Þ

� �
½1�

where m0 and mc are refractive indices of a matrix
material (water or sulfate) and soot inclusion, and f
the soot volume fraction. The single scattering albedo
of a composite water–soot or aerosol–soot particle is
then obtained by applying the Mie scattering formal-
ism to a homogeneous particle whose optical proper-
ties are described by an effective refractive index.

Soot and Direct Radiative Effect of Aerosols

Soot incorporated within an aerosol particle will
increase the particle’s absorption in the visible part of
solar spectrum and thus it will decrease the particle’s
single scattering albedo. The direct top of the atmos-
phere radiative forcing,DF, of anoptically thin aerosol
layer is given by

DF ¼ � S0
4
T2
atmð1�NÞ ð1� aÞ22btsc � 4atabs

h i
½2�

where S0 is the solar constant, N the fraction of sky
covered by clouds, Tatm the transmittance of the
atmosphere above the aerosol layer, a the surface
albedo, b the fraction of the scattered radiation that is
scattered into the upper hemisphere, and tsc and tabs
the scattering and the absorption optical thickness of
an aerosol layer.

The negative value of radiative forcing implies
cooling of the system, while a positive value implies
heating. For nonabsorbing aerosol tabs ¼ 0, and eqn [2]
implies always a cooling effect. When soot is present
within an aerosol, aerosol absorption increases and the
direct aerosol effect will be either cooling or heating,
depending on the relative magnitudes of the terms
inside the bracket on the right-hand side of eqn [2]. For
an optically thin aerosol layer,o ¼ tsc=ðtsc þ tabsÞ. The
critical single scattering albedo, ocr, which determines
whether an aerosol will heat or cool the system, is
derived from eqn [2] in the form

ocr ¼ 2a

bð1� aÞ2 þ 2a
½3�

Table 3 Black carbon optical constants (real and imaginary part

of refractive index) in the 0.35–1.5mm wavelength range

Material Real part Imaginary

part

Method of

measurement

Amorphous carbon 1.85–2.8 1.2–0.9 Transmission,

reflection

Carbon black 1.92 0.95 Extinction

Polycrystalline

graphite

2.24 1.04 Fresnel reflection

Coal samples 1.6–2.1 0.3–0.5 Reflectance

Soot 1.5–1.9 0.4–0.8 Reflectance
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For given surface albedo, a, and backscattering
fraction, b, an aerosol with single scattering albedo
o > ocr will cool the system, while aerosols with
ooocr will cause heating.

Thus the sign of a direct top-of-the-atmosphere
aerosol forcing depends – in addition to the fraction of
radiation scattered into the upward hemisphere and
the albedo of an underlying surface – on the amount of
soot within an aerosol particle (which determines the
single scattering albedo o). Most aerosols will cause
cooling over the ocean and heating over fresh snow.
Thus, the soot heating effect will be especially signif-
icant over clouds, ice, and snow.

Soot and Absorption of Solar Radiation by Clouds

Soot within cloud droplets will again increase the
droplets’ absorption of electromagnetic radiation and
decrease their single scattering albedo. This leads to an
increased absorption of solar radiation within a cloud
layer, to heating, and to a possible increased rate of
evaporation of cloud droplets.

A small amount of soot, of the order of 10� 9 to
10� 7 by volume, in cloud droplets has little effect
on cloud optical properties. However, soot in
highly polluted regions, produced by industrial
activities or biomass burning, can affect cloud
absorption. Soot in cloud water concentration of the
order of 10� 6 and above will increase cloud absorp-
tion significantly. The effect of soot volume fraction,
varying from10� 7 to 10� 4, on the reflectivity of cloud
is quite pronounced at visible wavelengths, as shown
in Figure 5. Most accumulation-size soot particles can
propagate up to several thousands miles away from
their sources without a significant decrease in soot
concentration. Thus, for example, an extensive bio-
mass burning can affect cloud absorption and regional
climate in regions several hundred miles away from
source.

See also

Aerosols: Role in Cloud Physics; Role in Radiative
Transfer. Aircraft Emissions. Biogeochemical
Cycles: Carbon Cycle. Boundary Layers: Overview.
Cloud Chemistry. Cloud Microphysics.
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Introduction

With the advent of digital computers, weather fore-
casting was cast as a computational problem based on
the fundamental prediction equations of fluids. Since
analytic solutions are unavailable, approximations

evolved to convert the differential equations to
numerical equations suitable for computation on large
computing machines. From this perspective, the con-
cept of modeling was conceived. Thus weather fore-
casting – and more recently climate prediction – is
approached by defining a numerical ‘model’, and
solutions to this model are sought. Avariety of models
have been developed over time to meet this goal, and
the ‘spectral model’ is one of these.
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Figure 5 Cloud reflectivity as a function of radiation wavelength

for an optically thick (semi-infinite) cumulus cloud. The cases of

pure water cloud droplets and for varying soot volume fractions in

clouddroplets are shown. (Adaptedwith permission fromChylekP,

RamaswamyV, andChengRJ (1984).Effect of graphitic carbonon

the albedo of clouds. Journal of the Atmospheric Sciences 41:

3076–3084. A significant reduction of cloud reflectivity at visible

and near-infrared wavelengths is obtained for soot volume

fractions at and above 10� 6.
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The atmosphere is represented by variables
describing molecular composites of its gases; the
primary variables are velocity, temperature, density,
water content in all phases, and aerosols. These
variables are considered to bedistributed continuously
in three-dimensional space and to vary with time. The
evolution of these variables in timemay be determined
at each point in space (the Eulerian method) or by
following the particles through time (the Lagrangian
method) and both methods are in use. The differential
equations defining the future state of the variables are
based on physical and dynamical principles, somewell
known and others under study. These principles
include the equations of motion (the Navier – Stokes
equations), conservation of mass, an equation for
change in entropy, equations for changes in water
substance in its various phases, and chemical equa-
tions for changes of aerosols.

To define the notation of this article, these equations
are presented below (see Dynamic Meteorology:
Primitive Equations). Using the Eulerian reference,
the time derivative is taken locally at each point in the
fluid. The motion of the fluid is determined by an
equation for the vector velocity V relative to the
rotating Earth in all three space dimensions (eqn [1]).

qV
qt

¼ �ðV .=ÞV� 2X3V� 1

r
rp� gkþ F ½1�

HereX is the angular velocity of the earth; r and p are
density and pressure, respectively, at each atmospheric
point; g is the gravitational acceleration in the k (unit
vertical vector) direction; andF comprises all frictional
forces per unit mass. Conservation of mass is repre-
sented by the equation of continuity and the system
thermodynamics are described by changes in entropy
as in eqns [2], [3] and [4].

qr
qt

¼ �= . rV ½2�

qs
qt

¼ �V .=sþ 1

T
q qv; ql; qi; aj; . . .
� �

; 1  j  J ½3�

qqk
qt

¼ Qk ½4�

In eqn [3], s represents specific entropy, q is the rate of
heating per unit mass, and T is the temperature.
Additionally,qdepends on the heating rates associated
with water vapor (qv), ice (qi), liquid water (ql),
aerosols (aj for j ¼ j1), and other factors such as
radiation. Each of the variables qj and aj has its own
prediction equation [4], where the Qk represent
complex parametric formulas relating some or all of
the dependent variables. This entire system of equa-

tions constitutes the basis for selecting the ‘model’ that
is integrated in time to predict the future state of the
fluid. Additional features needed to complete the
model are boundary conditions, initial conditions,
scale truncation, external forces, and computational
resources.

The final step in constructing a model is to select a
technique to convert the basic nonlinear differential
equations that describe the forecast system [1]–[4] into
a numerical form suitable for computation and inte-
gration on a digital computer. Finite differencing in
both the time and space dimensions was the first
method attempted. Since the vertical and horizontal
dimensions in the atmosphere have unique properties,
they may be and often are considered separately.
Given that at any given height in the atmosphere
a closed spherical surface exists on which the depend-
ent variables describing the fluid are prescribed
and predicted, the spectral method, which assigns a
set of known continuous orthogonal functions over
the domain to represent these variables, may be
applied. When all the variables are described in
this way, the resulting equations are integrated over
the global domain, leading to a set of ordinary
nonlinear differential equations in time and on
each vertical level. Concurrently, differentiation in
the vertical space coordinate and time is normally,
but not universally, transformed to finite differences.
The spectral method is most appropriate for the larger
space scales since the functions usually used are global.
However, regional models can be cast in the spectral
framework if the boundary conditions are suitable.
Alternative methods that have been applied include
finite elements and spherical geodesic grids.

In comparison with other modeling techniques,
the spectralmethodhas nopole problem; its resolution
is essentially homogeneous and isotropic; it allows
for a simple solution of the Helmholtz equation in
various settings; and,with an appropriate choice of the
transform grid, it produces nearly alias-free solutions.
In addition to these advantages, it is also very
computationally efficient. On the basis of these
virtues, it has had a long run of success and has been
the method of choice at many modeling centers.

Computational Methods

Models represented by finite differences are often
denoted as gridpoint models and the grids for these
models have been selected in a variety ofways.Despite
their popularity, these models have many problems
leading to significant computational errors, and the
spectral method with its simple lateral boundary
conditions over the globe is a natural alternative.
Both methods are applied in the horizontal space
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domain, and are combined with an alternate disc-
retization in both the vertical and time domains. The
techniques were developed with the prediction equa-
tions represented in the Eulerian framework; that is,
all calculations are made locally in the space domain,
including time extrapolationof thedependent variables.

Although the structural characters of the two
methods are substantially different, they can be cast
in a similar representational form allowing for more
systematic comparison. To elucidate this similarity,
consider the dependent variables presented in the
prediction equations [1]–[4] represented by the vector
B ¼ Bbf g ¼ ðVr s qv ql; qi; aj . . .ÞT whereT represents
transpose. The dimensions of B are determined by the
number of variables in the system; let that beN. As the
equations stand, the left-hand side of the set is simply
qB=qt and the right-hand side can be summarized by a
vector F with the same dimension as B to yield the
following system [5].

qB
qt

¼ F B; r; tð Þ ½5�

Fdepends both differentially and nonlinearly onB, the
space coordinates r, and time. Altering these equations
by a transformation with the linear matrix operator L
leads to the more general form [6] for the prediction
system.

L
qB
qt

¼ ~FF B; r; tð Þ ½6�

Consider first the finite difference process applied
to this system. Selecting a three-dimensional grid
with M points to approximate the continuum in
space with suitably prescribed boundary conditions,
and a difference operator to describe derivatives, B is
represented at each of the points and has dimensions
(N�M); if the values of B are available at some
initial time, a numerical integration can proceed.
The matrix L becomes by virtue of the difference
operator an ðN�MÞ�ðN�MÞ matrix, which can in
principle be inverted, and F also becomes a numerical
vector with N�M elements after utilization of the
difference operator at each grid point. Using a
circumflex to represent numerical vectors and matri-
ces at gridpoints, the finite difference system is written
as eqn [7].

qB̂B
qt

¼ L̂L
�1
F̂FðB̂B; r̂r; tÞ ½7�

The solution is thus reduced to a matrix computation
provided a numerical scheme is introduced to step the
variables forward in time, and the resulting computa-
tional errors and stability issues are dependent on the
numerical and physical approximations made.

The spectral method uses a different approach.
Given a continuous domain over which the model
variables are to be evaluated, a set of linearly
independent global functions that are continuous
over the domain with at least continuous first and
second derivatives are selected. The model variables
Bb are expanded in these functions with time depend-
ent coefficients. Thus instead of a set of values for the
Bb at each grid point (iDx1, jDx2, kDx3) one has eqn
[8], whereZa are the global expansion functions (with
their requisite properties).

Bbðr; tÞ ¼
XMe

a¼1

Bb;aðtÞZaðrÞ ½8�

The choice of these functions is arbitrary, but some
guidelines may optimize their selection. It would be
ideal to select functions that fit the observation points
of the expanded variables exactly, but the distribution
of observations is not sufficiently uniform tomake this
feasible. The expansion functions might be chosen to
fit statistics of observations interpolated to a more
uniform grid such that the least number of functions
(N) was required to describe most of the variance of
the variables at those points. Additionally, functions
could be chosen that fit boundary conditions most
efficiently and/or with convenient orthogonalization
properties.

For application to the prediction system, eqn [8] is
introduced into eqn [6]. Tomaintain the exact form of
eqn [6], the series given by eqn [8] must be infinite.
Using a truncated form creates the spectral model, and
also generates errors analogous to those from reduc-
tion to a grid (eqn [7]). Selection of an optimum
truncation is therefore a significant issue.

The operatorL, often usedwith the spectralmethod,
is a diagonal matrix with Lb elements because the
system is always linearly decoupled. The scalar spec-
tral representation of eqn [6] is thus eqn [9] and
the variables remain nonlinearly coupled in the
functions ~FFb.

Lb
qBb

qt
¼ ~FFb B; r; tð Þ ½9�

Substitution of eqn [8] into eqn [9] leads to the error
equation [10].

XMe

a¼1

qBb;a

qt
LbZa

� �
� ~FFb ¼ eb ½10�

To solve this system for the unknown expansion
coefficients Bb;a, multiply eqn [10] by suitable test
functions ẐZkðrÞ and require the integral over the space
domain to vanish, a least-squares error minimization
procedure. The test functionsmust be continuous over
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the domain, and can be arbitrary. In practice they are
frequently chosen to be the expansion functions, but
this is not required. With this approximation, the
prediction equations for the expansion coefficients
become eqn [11], yielding N�Me equations for the
unknown quantities, qBb:a=qt, which can be solved for
Bb:a at future times using a suitable time extrapolation
procedure.

XMe

a¼1

qBb;a

qt

Z
LbZaẐZk dS

� �
�
Z

~FFbẐZk dS ¼ 0 ½11�

To cast eqn [11] in a form more comparable to the
finite difference equations [7], let Bb ¼ ðBb;aÞ and
Z ¼ ðZaÞ, both vectors with Me elements. Addition-
ally, assume that the test functions can be similarly
represented, i.e., ẐZ ¼ ðẐZkÞ. Since the functions Fb are
implicitly functions of (r; t) (see eqn [5]), their projec-
tion onto the expansion functions yields eqn [12].

Fb ¼
X
a

Fb;aðtÞZa ¼ ZTFb ½12�

Generating the coefficientsFb;a isnontrivial, resulting
from nonlinear combinations of the expansion coeffi-
cients Bb;a, and efficient procedures will be discussed
subsequently. Using the defined vectors, eqn [11]
becomes eqn [13], representing Me equations for the
expansion coefficients of each dependent variable.Z

ẐZLbZ
T dS .

qBb

qt
¼
Z

ẐZZ
T
dS . Fb ½13�

To combine the N equations of eqn [13] into one
expression, define theMe�MematricesAb �

R
ẐZLbZ

T

dS and A � R ẐZZT dS, and then create ðN�MeÞ
�ðN�MeÞ matrices AL ¼ diagðAbÞ and AR ¼
diagðAÞ. Extended vectors for the expansion coeffi-
cients to include all the variables can be constructed
such that Bs ¼ ðBbÞ and Fs ¼ ðFbÞ, leading to an
equation (eqn [14]) formally identical to the finite
difference equation [7].

qBs

qt
¼ A�1

L ARFs ½14�

The corresponding grid point values from this spectral
representation may be calculated at each point (iDx1,
jDx2, kDx3) for each dependent variable Bb by use of
eqn [8].

Spectral Modeling

Since most significant prediction models represent
their dependent variables on a grid of points in the
vertical and use nonspectral methods on that grid, the
subsequent discussion of the spectral method will

focus on the horizontal domain of the model repre-
sentation. This requires that the variables Bb be
represented on K surfaces in the vertical, with the
surfaces separated by the grid intervals, and the
variables described in those surfaces by eqn [8].

When selecting appropriate spectral functions for
the expansion (8), in addition to fitting observations
well, the functions should also be chosen with the
properties of the system in mind. Several conditions
have been accepted as suitable requirements. First,
require the functions Za to satisfy the eigenvalue
problem (eqn [15]).

LbZa ¼ �cb;aZa ½15�
In practice the selection ofLb almost always represents
a conversion of wind components to vorticity and
divergence, which is given by a linear differential
operator. Application of this operator in eqn [15] leads
to a variety of useful and simple functions. The second
condition is to require the expansion functions to be
orthogonal and normal over the domain in a Hermit-
ian sense (eqn [16]).Z

ZiZ
n

j dS ¼ di;j ½16�

This condition is reasonably simple to satisfy, since
most function sets can be orthogonalized. Finally, the
test functions when selected as the expansion functions
do not lead to a significant loss of generality, thus this
condition is uniformly imposed as ẐZ ¼ Z. Utilizing
these three conditions greatly simplifies the calculations
required to perform each prediction time step since
both integrals in eqn [13] become diagonal matrices.

A variety of functions have been used for the
expansion [8], most satisfying the conditions just
enumerated, with the selection depending on the
degree of generality desired to approximate the
general system [14]. When the atmosphere is repre-
sented on a channel with rigid boundaries at fixed
northern and southern latitudes short of the poles,
double Fourier series in latitude and longitude are
found to be convenient expansion functions. They
satisfy the boundary conditions easily and, because of
the very simple addition rules for these functions,
nonlinear products are rapidly calculated. For the full
global domain approximated by spherical surfaces
over the Earth, the obvious expansion functions that
satisfy the boundary conditions are surface spherical
harmonics (often denoted as solid harmonics), and
they have become the functions of choice for spectral
modeling. Surface spherical harmonics are construct-
ed as the product of associated Legendre polynomials
and complex exponential functions. Selecting coordi-
nates in spherical surfaces such that m ¼ sin j, where
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j is latitude, and l is longitude, normalized Legendre
polynomials represent the latitudinal structures with
the form of eqn [17].

Pm
n mð Þ � ð2nþ 1Þ ðn�mÞ!

ðnþmÞ!
� 	1=2 ð1� m2Þm=2

2nn!

� d

dm

� �nþm

ðm2 � 1Þn ½17�

These are polynomials of degree nwith n�m roots in
the domain �p=2ojop=2 and m roots at the poles.
Together with Fourier series in longitude the solid
harmonics are given by [18].

Yn;mðl; mÞ ¼ Pn;mðmÞeiml ½18�

These are the complex expansion functionsZa used in
eqn [8] for the horizontal structures. All functions
vanish at the poles except the zonal ones (m ¼ 0), and
these remain finite there. The indices (n; m) define the
roots of the functions and thus may be considered
scaling elements; that is, the larger the indices, the
smaller the scales represented by the functions. An
example is given in Figure 1, which shows the cellular
structure of the function for fixed n and various values
of m. The total number of cells over the domain
remains the same because some of the roots appear at
the poles, but the cell structures differ. It is convenient

to represent the indices as a single complex index, say
a ¼ ðnþ imÞ. The functions are orthogonal over their
respective domains and normalized; this is expressed
(in a Hermitian sense) as eqn [19] with integration
taken over the surface of the unit sphere.

1

4p

Z
YaY

n

a 0 dS ¼ da;a 0 ½19�

The asterisk signifies complex conjugation, and d is the
Kroneker delta. If Lb � r2 (the Laplacian operator),
substitution of Ya for Za in eqn [15] yields the
eigenvalues [20].

ca ¼ nðnþ 1Þ ½20�
Thus solid harmonics satisfy the conditions desired for
suitable expansion functions.

Most atmospheric variables (Bb) are sufficiently
smooth that, when expanded in these functions, the
series converges rapidly. That expansion takes the
form [21], where zk is any selected vertical level and
the series truncates atMe.

Bbðl; m; zk; tÞ ¼
X
a

Bb;a;kðtÞYaðl; mÞ ½21�

The range of (a) is n � 0 and, because of the complex
nature of Fourier series, m takes both positive and
negative values. When eqn [21] is introduced into

m = 5m = 4

m = 3m = 2

m = 1m = 0

Figure 1 Cellular structure of solid harmonic functions for n ¼ 5 and all allowed values ofm. (From Baer (2000).)
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eqn [14] and suitably integrated over the space
domain, the resulting equations become a set of
ordinary nonlinear differential equations in time for
the expansion coefficients.

Spectral Vorticity Model

Tobetter understand the details of thismethodology, it
is advantageous to simplify eqn [14] by approxima-
tions but still maintain a system that can describe
the elements of the technique. The simplest appropri-
ate system is represented by the barotropic vorticity
equation. Consider a barotropic fluid, which exists
if the thermodynamic variables are uniquely related
to one another and are independent of position in
the fluid. In this setting, fluid motions need consider-
ation in only one horizontal surface and are independ-
ent of height. Assuming further that the fluid is
incompressible, it is then also three-dimensionally
nondivergent. If no divergence is introduced at
the upper and lower boundaries, no divergence
exists in any horizontal surface. Finally, under the
condition of hydrostatic equilibrium, the vertical
component of velocity can be ignored. The horizontal
velocity is then represented by two scalar variables,
which themselves may be transformed to any other
two scalar functions; because rotation plays such
a major role in atmospheric motions, vorticity and
divergence are universally chosen. For the approxi-
mations stated, the divergence vanishes and hence
the velocity is represented uniquely by the vorticity
and the prediction equation for vorticity derived from
eqn [1] is denoted the barotropic vorticity equation
(BVE).

Applying these approximations to eqn [1] and
ignoring friction, the simplified equation of motion is
eqn [22], where the subscript 2 denotes two-dimen-
sionality.

qV2

qt
¼ �ðV2 .=ÞV2 � 2X3V2 � 1

r pð Þ=2p ½22�

TheEarth’s vorticity is expressed here as 2X ¼ fkwith
f ¼ 2O sin j, the Coriolis parameter, and j is lati-
tude. Transform the velocity to rotation and diver-
gence by the definitions [23].

V2 ¼ k3=cþ =w ½23a�

= .V2 ¼ =2w � d � divergence ½23b�

k .=3V2 ¼ r2c � z � relative vorticity ½23c�
The equation for predicting the vorticity (BVE) is
established by applying the operatork .=3 to eqn [22]

and substituting [23], as in eqn [24].

qz
qt

¼ �V2 .=Z ¼ �k3=c .=Z ¼ �J c; Zð Þ
Z � zþ f � absolute vorticity ½24�

This equation represents a very simplified atmosphere
but contains prominent features of the full atmospheric
system and is a useful tool for evaluating prediction
techniques.

Nondimensionalizing eqn [24] using the Earth’s
radius (a) for space and its rotation rate (O) for time,
and noting that the Coriolis parameter becomes
f ¼ 2m, eqn [24] in terms of the stream function (c)
is then eqn [25].

qr2c
qt

¼ �2
qc
ql

� FðcÞ ½25a�

FðcÞ � qc
ql

qr2c
qm

� qc
qm

qr2c
ql

½25b�

Indeed, c ¼ B, the only variable remaining of the set
Bn in eqn [21] and for only one k level. Equation [25]
contains a linear term and two quadratic nonlinear
terms; these latter terms constitute F, the remains of Fb
in eqn [12]. A representation in terms of expansion
coefficients caðtÞ is attained using eqn [15] for the
Laplacian operator, eqn [21] for the expansion of c,
and eqn [12] for expansion of F, yielding eqn [26].

X
a

caYaðl; mÞ qcaðtÞ
qt

¼ 2i
X
a

macaYaðl; mÞ

þ
X
a

FaYaðl; mÞ ½26�

.As a final step, eqn [26] is multiplied by the test
functions (in this case the conjugates of solid harmon-
ics) and integrated over the unit sphere, noting
orthogonality. This results in the prediction equation
for each of the expansion coefficients (eqns [27]).

qcaðtÞ
qt

¼ 2imac
�1
a caðtÞ þ FaðtÞ ½27a�

FaðtÞ ¼
Z

FðcÞYn

a ðl; mÞdS ½27b�

It is evident how eqns [27] can be extended to involve
more dependent variables and any number of levels in
the vertical. However, if more variables exist in the
system, these variables will be coupled nonlinearly
through the coefficients Fa.

Suppose that the series for a is truncated at Me as
suggested. This implies that all values ofca for a > Me

vanish.However, on calculating the nonlinear product

2104 SPECTRAL MODELS



FðcÞ, a  2Me coefficients Fa are generated; thus at
each time step the number of nonvanishing coefficients
could double. This complication is resolved in the
spectral method by always ignoring all computations
for a > Me.

The truncation of a at Me is somewhat intricate
since, from eqn [17], n � 0 and n � mj j, whereas
�mmax  m  mmax. The set of all allowed indices is
best described by the intersections of integers in a grid
on an n;m plane as depicted on Figure 2. The allowed
points fall on an infinite triangle bounded by the lines
n ¼ �m, but it is sufficient to present only the triangle
form � 0. All sequential values of n andm beginning
at the origin are generally selected to satisfy conver-
gence requirements for the dependent variables that
they represent, but a relationship between maximum
valuesmust be chosen. Two options are preferred. The
first, denoted as rhomboidal truncation, has a maxi-
mum value ofmmax � M (specified) and allows for all
values of n  mj j þM for each mj j  M. The corre-
sponding figure (this configuration describes a paral-
lelogram) is represented onFigure 2 and the notation is
written as, for example, R30 if M ¼ 30. The advan-
tage of this truncation is that each planetary wavem is
represented by the same number of expansion coeffi-
cients, thereby allowing equal resolution for all waves.
However, since the energy of atmospheric flow
decreases rapidly with increasing wave number (m),
resolution of the shorter waves may be less important
than for the longer waves. This observation leads to
triangular truncation, in which n  N for each
mj j  M, with N � M, a predetermined integer. Usu-
ally N is selected equal to M and this option is
described as a triangle on Figure 2 with the notation

T30 if N ¼ 30, for example. In terms of scaling, this
truncation has some advantages. The ultimate
choice for truncation is to optimize the resolution of
the model in terms of the number of scales included
and to minimize the computing requirements by
selecting the fewest degrees of freedom compatible
with resolution.

Interaction Coefficient Method

Since all prediction models are computationally
intensive, the spectral method must compete in the
efficient utilization of available computing resources.
It is apparent from eqns [27] that most of the
computing time required involves the calculation of
the coefficients Fa and much effort has gone into
optimizing this calculation. Early attempts followed
the procedure of substituting the expansion series [21]
forc into eqn [25] to represent FðcÞ and calculating Fa
from eqns [27]. This results in eqns [28].

FaðtÞ ¼ i

2

X
b

X
g

cbðtÞcgðtÞIa;b;g ½28a�

Ia;b;g �ðcb � cgÞ

�
Z

mbYb
qYg

qm
�mgYg

qYb

qm

� �
Yn

a dS ½28b�

The indices b and g go over the same range as a, which
is determined by the selected truncation, and the
integration is over the unit sphere. The integrals Ia;b;g
are denoted as interaction coefficients and have exact
solutions. Applying eqns [28] in eqns [27] shows that
the time change of any expansion coefficient of the set
a depends on the coupling of all the coefficients
allowed in the spectral domain (refer to Figure 2) and
each couple is weighted by its own interaction coef-
ficient. Since each index consists of two real numbers,
the set of interaction coefficients can be as large as the
largest allowed index to the sixth power. In actuality,
because of the simple addition rules for trigonometric
functions, the integration over longitude reduces this
by one order. The vector of these coefficients can be
stored and need be computed only once. However, the
number of multiplications that must be performed at
each time step is daunting as the truncation limit
becomes large.

The more complex system [14] can be represented
identically to [27] by simply increasing the number of
expansion coefficients to include additional variables.
But a shortcoming of using interaction coefficients
concerns the convergence rate for the series of several
dependentvariables included in thegeneral set (Bb)when
expanded in global functions, in particular liquid water
and precipitation. Significant truncation errors may
ensue with time integration utilizing such functions.

m

n

M

M

N 2M

2M

n = m

n = N

n = m + M


  = n + im

Figure 2 The domain and allowable range of indicesm and n for

triangular and rhomboidal truncations. (From Baer (2000).)
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Transform Method

A technique denoted as the transform method is an
alternate procedure for calculating the coefficients Fa,
yielding the same (or better) results than the interac-
tion coefficient method. This technique involves the
transformation of the integrand in [27] onto a special
numerical grid and solving the integral by quadrature.
If the grid is selected appropriately, the integral is
evaluated exactly and at a great reduction in comput-
ing cost. In the longitudinal direction, the quadrature
is most conveniently done by a trapezoidal formula
since it is known that eqn [29] holds.

1

2p

Z 2p

0

eiml dl ¼ 1

J

XJ
j¼1

eimlj ½29�

The summation is taken over an equally spaced grid of
points lj, and uses twice the number of points as the
maximumwavenumber. Since the functions in latitude
are Legendre polynomials, a Gaussian quadrature is
preferred. In this case the quadrature is such that eqn
[30] holds and is exact if the polynomialH is of degree
2K� 1 or less.

Z 1

�1

HðmÞ dm ¼
XK
k¼1

Gkðm;KÞHðmkÞ ½30�

TheGk areGaussianweights and the grid points mk are
the roots of the Legendre polynomial PKðmÞ. The
appropriate grid for this calculation contains all
allowed values (lj; mk) as specified. The range of the
grid points is determined by the functions of the
integrand in eqns [27].

The derivatives in FðcÞ (see eqn [25]), must be taken
before evaluating the function on the grid. Based on
eqns [18] and [17], the differentiation with l is
straightforward, but the m-derivative requires
more information. The Legendre polynomials
satisfy the differential equation [31], where the coef-
ficients ba are constants, and this defines the latitudinal
derivatives.

ð1� m2Þ1=2 dPa

dm
¼ baPa�1 � baþ1Paþ1 ½31�

Following this procedure, FðcÞ is reduced to a quad-
ratic series over the indices (b; g) in terms of the
complex exponential functions in longitude and the
associated Legendre polynomials in latitude, both of
which can be evaluated on the specified grid. The
actual calculation proceeds as follows. First the
quadrature over longitude is taken (eqn [32]), where
the sum goes over the value J ¼ 3M� 1 if triangular

truncation is chosen.

Fmaðm; tÞ ¼
1

2p

Z
F cðl; m; tÞð Þe�imaldl

¼ 1

J

XJ
j¼1

F cðlj; m; tÞ
� �

e�imalj ½32�

The calculation ismade over those latitudes m specified
from the quadrature (eqn [33]).

FaðtÞ ¼ 1

2

Z
Fma m; tð ÞPa mð Þdm

¼
XK
1

Gk mk;Kð ÞFma mk; tð ÞPa mkð Þ ½33�

Since the polynomial under summation in eqn [33] is
HðmÞ and is the product of three Legendre polynomials
less one order, and each has a maximum order ofN, it
can be shown that K ¼ ð3N � 1Þ=2.

Analysis of the computing requirements for eqns
[32] and [33] indicates that the maximum number of
calculations is proportional to N3, significantly less
than the N5 needed by the interaction coefficient
method.When using the transformmethodwith those
variables that have unacceptable convergence proper-
ties yet contribute to eqn [7], their series representa-
tion is not essential. Their input is included directly
into the quadrature formula by their distribution on
the transform grid. Since all the forcing functions are
summed over the grid before quadrature is completed,
any singularities from individual terms are smoothed
out and their effects are minimized.

History

Since the 1960s, spectral models have become by far
the most popular representation for describing the
global atmospheric prediction equations in comput-
ational form. They overcome many of the limit-
ations inherent in finite difference models. Most
international prediction centers have adopted this
modeling procedure. Canada and Australia imple-
mented the model in 1976, the National Meteorolog-
ical Center of National Oceanic and Atmospheric
Administration (NOAA) did so in 1980, the French in
1982 and the European Center for Medium-range
Weather Forecasts (ECMWF) in 1983. As an example
of how the models have evolved, production spectral
models at ECMWF have grown in resolution from
T63 in 1983 to T213 in 1998 with experiments
currently running at T319.

See also

Boundary Layers: Modeling and Parameterization. Cli-
mate Prediction (Empirical andNumerical).Convec-
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tion: Laboratory Models of.Convective Cloud Systems
Modelling. Coupled Ocean–Atmosphere Models.
Mesoscale Meteorology:Models. Numerical Models:
Methods. Predictability and Chaos. Weather Predic-
tion:Adaptive Observations; Data Assimilation; Ensemble
Prediction; Regional Prediction Models; Seasonal and
Interannual Weather Prediction.
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Introduction

A ‘standard atmosphere’ is a vertical description of
atmospheric temperature, pressure, and density that is
usually established by international agreement and

taken to be representative of the Earth’s atmosphere.
The first ‘standard atmospheres’ established by inter-
national agreement were developed in the 1920s
primarily for the purposes of pressure altimeter
calibrations and aircraft performance calculations.
Later, some countries, notably the United States, also
developed and published ‘standard atmospheres’. The
term ‘reference atmosphere’ is used to identify vertical
descriptions of the atmosphere for specific geograp-
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hical locations or globally. These were developed by
organizations for specific applications, especially as
the aerospace industry began to mature after World
War II. The term ‘standard atmosphere’ has in recent
years also been used by national and international
organizations to describe vertical descriptions of
atmospheric trace constituents, the ionosphere, aero-
sols, ozone, atomic oxygen, winds, water vapor,
planetary atmospheres, and so on.

A standard unit of atmospheric pressure is defined
as that pressure exerted by a 760 millimeter, (or
29.22 inch) column of mercury at standard gravity
at 45.54251N latitude and sea level (9.80665ms�2) at
a temperature of 01C (321F). The recommended
unit for meteorological use is 1013.25 hectopascals
(1 hPa51mb). Standard temperature is used in physics
to indicate a temperature of 01C (321F), the ice point,
and a pressure of one standard atmosphere
(1013.25hPa). In meteorology, the term standard tem-
perature has no generally acceptedmeaning, except that
it may refer to the temperature at zero pressure-altitude
in the standard atmosphere (151C) with a density of
1.2250gm�3. The standard sea-level values of temper-
ature, pressure, and density that have been used for
decades are temperature of 288.15K, 151C, or 591F;
pressure of 1013.25mb, 760mmHg, or 29.22 inches
Hg; and density of 1225.00 gm� 3 or 0.076474 lb ft� 3.

In 1925 the US National Advisory Committee for
Aeronautics (NACA) Standard Atmosphere (or US
Standard Atmosphere) was published. In 1952 the
International Civil Aeronautical Organization
(ICAO) produced the ICAO Standard Atmosphere,
and in 1964 an extension to 32 km. Subsequently there
have been a succession of ‘Standard and Reference
Atmospheres’, some extending to altitudes above
1000 km, produced by the US Committee on Exten-
sion to the Standard Atmosphere (COESA), Commit-
tee on SpaceResearch (COSPAR),Comitet Standartov
(USSR), International Standardization Organization
(ISO), US Air Force Research and Development
Command (ARDC), US Range Commanders Council
(RCC), and US National Aeronautics and Space
Administration (NASA), plus others.

In 1975 the International Standards Organization
published a Standard Atmosphere for altitudes from
� 2 to 50 km that is identical to the ICAO Standard
Atmosphere from � 2 to 32 km. Subsequently the ISO
published in 1982 a family of five Reference Atmos-
pheres forAerospace Use for altitudes up to 80 kmand
latitudes of 151, 301, 451, 601, and 801N.

Figure 1provides an illustration of the temperature–
height profiles to 100 km of the COESA US Standard
Atmosphere, 1976, and the lowest and highest mean
monthly temperatures obtained for any location
between the Equator and Pole. The portion of the US

StandardAtmosphere up to 32 km is identical with the
ICAO Standard Atmosphere, 1964, and below 50 km
with the ISO Standard Atmosphere, 1973.

For altitudes above approximately 100 km, signif-
icant variations in the temperature, and thus density,
occur due to solar and geomagnetic activity over the
period of a solar cycle. Variations in the temperature–
height profiles for various degrees of solar and
geomagnetic activity are presented in Figure 2. Profile
(A) gives the lowest temperature expected at solar
cycle minimum; profile (B) represents average condi-
tions at solar cycle minimum; (C) represents average
conditions at a typical solar cycle maximum; and (D)
gives the highest temperatures to be expected during a
period of exceptionally high solar and geomagnetic
activity.

Currently some of the most commonly used Stand-
ard and Reference Atmospheres include:

ICAO Standard Atmosphere, 1952/1964
ISO Standard Atmosphere, 1973
US Standard Atmosphere, 1976
COSPAR International Reference Atmosphere
(CIRA), 1986
NASA Global Reference Atmosphere Model
(GRAM), 1999

In 1996 the American Institute of Aeronautics and
Astronautics (AIAA) published a Guide to Reference
and Standard Atmosphere Models. This document
provides information on the principal features
for a number of global, regional, middle atmosphere,
thermosphere, test range, and planetary atmosphere
models. Summary information on these reference and
standard atmosphere models is given in the Table 1.

See also

Evolution of Earth’s Atmosphere. Static Stability.

Further Reading

ChampionKSW (1995)Early Years of Air ForceGeophysics
Research Contributions to Internationally Recognized
Standard and Reference Atmospheres, Technical Report
PL-TR-95-2164. Hanscom AFB, MA: Air Force Phillips
Laboratory.

Sissenwine N, Dubin M and Teweles S (COESA Co-
Chairmen) (1976)USStandardAtmosphere, 1976, Stock
No. 003-017-00323-0. Washington, DC: US Govern-
ment Printing Office.

VaughanWW, JohnsonDL, JustusCG, et al. (1996)Guide to
Reference and Standard Atmosphere Models,Document
ANSI/AIAA G-003A-1996. Reston, VA: American Insti-
tute of Aeronautics and Astronautics.
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Introduction

Static stabilitymeasures the gravitational resistance of
an atmosphere to vertical displacements. It results
from fundamental buoyant adjustments, and so it is
determined by the vertical stratification of density or
potential temperature. It influences the dynamics of
many kinds of atmospheric motions, which in turn are
responsible for determining its variations.

Static stability is represented commonly by the
square of the buoyancy frequency N, which plays a
role in theories for flow instabilities, wave propaga-
tion, and forced motions. As summarized below, these
theories apply to a wide range of spatial scales, from
small-scale turbulence to convection, mesoscale mo-
tions, and large-scale circulations for which the ratio
ofN to the Coriolis frequency f is paramount.

Basic Buoyant Stability and Instability

The role of density fluctuations in a gravity field is best
in the vertical component of the equations of motion.
In an absolute sense, the gravity and pressure gradient
forces are usually in a state of hydrostatic balance to
within 1%. However, the slight imbalances account
for vertical accelerations dw=dtwhich are often driven
by buoyancy:

dw=dt ¼ �r�1
0 dp0=dz½ � þ B ½1�

Here,w is the vertical velocity dz=dt, t is the time,r0ðzÞ
is the density of a static ‘environmental’ reference
state, and a prime indicates deviation from that
reference state. B is the buoyancy force per unit
mass, given by B ¼ �r0=r0g. For many buoyant
motions,B is an upper bound on vertical accelerations
dw=dt since the pressure gradient term tends to oppose
B. The most useful approximate form for B is

B ¼ ðy 0
v=yv0Þg ½2�

where yv is the potential temperature augmented by a
small (at most, a few 1C) amount proportional to
water vapor, reflecting the contribution of humidity
fluctuations to buoyancy.

For a dry adiabatic vertical displacement dz, a parcel
conserves yv so that y

0
v ¼ �ðqyv0=qzÞdz. For a stable

system, the squared frequency of oscillation is com-

monly equal to the restoring force per displacement, or
B=dz in this case. Thus, if pressure effects are ignored
in eqn [1], the simple buoyancy frequencyN is givenby

N2 ¼ ðg=yv0Þqyv0=qz ½3�
N, also known as the Brunt–Vaisalla frequency, is
determined by the vertical gradient of yv0 or equiva-
lently by the difference between virtual temperature
lapse rate �qTv=qz and the dry adiabatic rate
Gd ¼ g=cp. Unless conditions are superadiabatic, yv0
increases upward, corresponding to static stability. In
this case, N2 is positive and eqns [1]–[3] imply

d2w=dt2 þN2w ¼ 0 ½4�
It follows that the solution is a simple oscillation
wðtÞ ¼ W cosðNt þ eÞ, where W is the maximum
vertical velocity amplitude and e is a phase constant.
The period is 2p=N, typically about 10min in the
troposphere. Figure 1A shows the vertical oscillation,
and its driving by buoyancy, which is a quarter cycle
ahead of the parcel displacement dz. The buoyancy
oscillation is analogous to that of a spring, so N2 is
equivalent to the ‘stiffness’ of the atmosphere when it
is subjected to vertical displacements. The stiffness
increases with the closeness of y surfaces. Figure 1B
shows that a larger stability produces a faster oscilla-
tion and inhibits the maximum vertical displacements
W=N.

For smaller values of static stability, the restoring
buoyancy forces are weaker and the oscillations are
slower. Neutral stability occurs when qyv0=qz is zero
(dry adiabatic conditions); a displaced parcel with no
initial buoyancy remains that way, so there is no
vertical acceleration. ‘Absolute instability’ occurs
when qyv0=qz is further reduced to a negative value
(superadiabatic lapse rate). In this caseN2 ¼ � N2



 

 is
negative, and the solutions to eqn [4] are exponential
in time (Figure 1C). The growing mode exp Nj jtð Þð Þ
corresponds to a cooperative relation between buoy-
ancy and motion (e.g., warm air rising) and may
be thought of as the initial stage of convection.
(A decaying mode exp � Nj jtð Þð Þ corresponds to a
mismatch ofB andw (e.g., cold air rising) and so it is of
no long-term consequence.) For convective motions,
the increase of vertical kinetic energy is equal to the
buoyancy work

R
B dz, known as the convective

available potential energy (CAPE) along the parcel’s
vertical path. (In vertically confined convective sys-
tems, a growing mode requires that thermal and
viscous dissipation must be overcome, so a critical
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value of N2


 

 must be exceeded, as expressed in a

critical ‘Rayleigh number’ necessary for convection.)
Formanyapplications the distinctionbetween y and yv
is of secondary importance, as is assumed in the
remaining discussion.

Moist Instability

In a humid atmosphere, phase changes in the water
contentmay cause instability evenwhenN2 is positive.
In this case, a parcel conserves its equivalent potential
temperature ye, rather than y. ye exceeds y by a
temperature-dependent amount depending on humid-
ity. As an example, conservation of ye is consistent
with upwardmotions leading to saturation, the release
of latent heat of condensation, and the diabatic
increase of y. These ‘moist’ diabatic processes reduce
the effective static stability for cloud systems. For
example, the stability of a cloud layer to internal

displacements depends most strongly upon qye=qz,
with negative values corresponding typically to insta-
bility. (This criterion is used to describe ‘potential
instability’, an often-misused concept that describes
the stability of an unsaturated layer which is lifted
hypothetically until it becomes a cloud layer.)

The most important example of moist processes
affecting stability occurs when rising, saturated par-
cels in cumulus clouds penetrate a dry ‘environmental’
layer. In this case, ‘conditional instability’ may occur
evenwhen qyv0=qz is positive and the ‘dry dynamics’ of
the environment are stable. This instability criterion
may be expressed as qyes=qzo0, where yes is the
saturation equivalent potential temperature, a known
function ofT and pressurep. This criterion ismet if the
virtual temperature lapse rate �qTv=qz exceeds the
smaller moist adiabatic rate Gm. The result is that the
unstable combination of positive buoyancy with a
rising parcel occurs if a saturated parcelmoves upward
through a layer of air where N2 is insufficiently
positive. Figure 2 illustrates the three fundamental
types of stability for an atmosphere.

The growth of cumulus clouds is overestimated by
this simple parcel reasoning, because updrafts require
compensating subsidence of the environment. The
resulting adiabatic warming decreases the relative
buoyancy of the cloud. A simple ‘slice’ theory shows
that the effective stability of the system is then
increased for finite-sized clouds; it can be represented
as a combination of themoist and dry static stabilities.
Additional stabilizing influences are turbulent mixing
ofmomentumand thermodynamic quantities between
the cloud and the environment, and the effects of
pressure adjustments.

�3

�2

�4

Time

Z

Z

N 2= _1 N = 0

N = 1

N = 2

N = 

Time

(A)

(B)

Figure 1 Simple buoyancy motions and varying environmental

static stability. (A) Stable oscillation for N ¼ 1. Isentropic surfaces

are shown; increasing labels indicate warmer y. Impulsive force

creates initial vertical motion W (thin arrow), adiabatic displace-

ments of y surfaces, changes in air parcel volume (circles), and

buoyancy force (vertical arrows). (B) Parcel motions for five

stability conditions. Moderate stability: N ¼ 1, shown in (A).

Stronger stability: N ¼ 2 stable oscillation has shorter period,

smaller vertical displacements. Extreme stability: N5 infinity has

no vertical displacement. Neutral stability: N ¼ 0 has displace-

ments growing linearly, with no restoring force. Unstable condi-

tions: N2 ¼ �1 has buoyancy forces creating amplifying vertical

parcel displacements.

AU CU S

T

Z

D M

Figure2 Vertical temperature profiles (solid) for three categories

of static stability. Temperature changes for dry andmoist adiabatic

parcel displacements are dashed. AU: absolutely unstable; CU:

conditionally unstable (for saturated parcels); S5absolutely

stable.
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Climatology of Static Stability

In the simplest terms, the dry and moist static stability
indices depend upon vertical profiles of potential
temperature, and to a lesser extent on the profile of
water vapor. Figure 3 shows some typical features in a
vertical cross-section. Strong static stability (N2)
regions are associated with isentropic surfaces that
are closely spaced in the vertical, a symptom of the
vertical ‘stiffness’. Weak stability regions have greater
spacing, and the limit of zero stability may correspond
to a vertical orientation of the isentropic surface.
Regions of moist unstable motions are possible where
there is a conditionally unstable temperature profile
and sufficient moisture supply (e.g., the tropical
boundary layer).

The distribution of static stability qy=qz can be
explained first by considering the processes that
change the spacing Dz of potential temperature
surfaces. From the first law of thermodynamics, it is
easily shown that local changes of stability are caused

by (1) advection of stability from upwind, (2) (verti-
cally) differential temperature advection, and (3)
differential diabatic heating. The differential diabatic
term (3) explains many basic stability features in the
atmosphere. The term is proportional to dJ=dz, where
J is the diabatic heating rate per unit mass; negative J
connotes cooling. This term increases the stability
where J increases with height, and decreases it where J
decreases with height.

Examples of diabatic influence on static stability are
seen in Figure 3. The strongest stability is seen in the
stratosphere, where stability is maintained by the
radiative heating increase due to absorption of solar
ultraviolet radiation by ozone. The tropospheric static
stability is several times smaller, due especially to
downward long-wave radiation. Near the Earth’s
surface, strong stability at high latitudes is created by
long-wave radiative cooling, while weaker stability at
other latitudes is driven by sensible heat from the
surface. The sensible heating is concentrated in the
atmospheric boundary layer, which often resembles a
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‘convective mixed layer’ of low stability, especially
over land. In the tropics, the troposphere is moist at
low levels, conditionally unstable, and deep; heavy
cumulus convection is prevalent and its latent heating
is the essential driving of the tropical climate system.

Some of the smaller-scale features in the figure are
affected by adiabatic circulation processes. Term 2
includes the effect of verticalwind shear in a baroclinic
region; near theEarth’s surface,warm (cold) advection
situations are associated commonly with stabilization
(destabilization) of the lower atmosphere by this
process. This term also explains the development of
strong static stability by subsidence at the top of the
atmospheric boundary layer and in frontal zones.

There are seasonal anddiurnal variations in stability
that cannot be represented in the snapshot (Figure 3).
These variations are caused by those of solar radiative
forcing of the Earth’s surface, which results in varia-
tions of sensible and latent heating. Broadly speaking,
the static stability fields tend to shift poleward in the
summer season, and Equatorward in the winter
season. The destabilization of the lower atmosphere
is a maximum over land on summer days, while it is a
maximum over the midlatitude oceans in winter.

Static Stability and Circulation
Dynamics

Static stability influences the motions of the atmos-
phere on a range of scales and may permit waves to
connect distant regions. Simple vertical buoyancy
concepts are not sufficient for understanding these
effects. In reality, one must also consider the coupling
to horizontal winds and the ways in which pressure
links the motion of different air parcels. The spatial
distributions of static stability andwind determine the
outcomes,which range fromflow instability to various
kinds of wave propagation in the horizontal and
vertical.

Small-Scale Turbulence

Turbulence in the atmosphere may be caused by
convection or by wind shear, and static stability is
influential in each case. Ignoring moist dynamics,
convection requires qyv=qz to be negative, which
occurs most commonly when the air is in contact with
awarmer Earth’s surface, such as a sunny day over dry
land. In such cases, N2 is strongly negative in the
surface layer (roughly the lowest 50m), reflecting a
superadiabatic lapse rate of virtual temperature. Static
stability is then near-neutral (N2 ¼ 0) in a deeper
‘mixed layer’ up to the boundary layer top. Thus,
neutral boundary layers are symptoms of surface-
induced convection.

Positive static stability inhibits turbulence induced
by wind shear. The production of shear turbulence
may be understood by imagining a layer of concen-
trated wind shear which, when perturbed by vertical
displacements, creates a pressure feedback that am-
plifies the displacements of the layer. The result is
mixing of fast and slow air parcels by a growing
pattern of Kelvin–Helmholtz instability (KHI) mo-
tions. Obviously, the vertical restoring forces of a
statically stable atmosphere will oppose the vertical
components of such KHI displacements. The compe-
tition between shear instability and stable stratifica-
tion is best measured by the Richardson number

Ri ¼ N2=SH2 ½5�

where SH is most generally the magnitude of the
vector wind shear qV=qz. Ri is the squared ratio of the
stable buoyancy oscillation frequency N to the max-
imum shear-induced growth rate SH. Theory and
observation show that when Ri > 1

4, shear growth is
eliminated: static stability wins, and perturbations are
stable oscillations as in Figure 1. On the other hand,
when static stability is reduced so thatRio1

4, the shear
instability is not suppressed totally, and the perturbat-
ions may grow into turbulence.

In the free atmosphere, intense frontal zones are
associated commonly with ‘clear air turbulence’,
despite the zones having a maximum static stability.
This is because they are sloping regions of strong
gradients, and Ri is reduced more effectively by the
strong shear as the vertical width of the zone becomes
small. The mixing by this turbulence is thought to
modify the mesoscale structure of the static stability
and shear near jets.

Very near the Earth’s surface, strong shear is created
by frictional drag, but the turbulence is limited by the
surface and by static stability. In such surface bound-
ary layers, the intensity of shear turbulence is greatest
beneath the height L, the Monin–Obukhov length. L
varies inversely with the stable air–surface tempera-
ture difference and static stability near the ground.
Higher in the boundary layer, the turbulent fluxes are
often represented by eddy mixing coefficients which
are a decreasing function of Ri (and hence static
stability).

Mesoscale Motions

Static stability and its spatial variations may produce
complex mesoscale motions. Since wind speeds and
the frequencies of weather systems are strongly sub-
sonic, it follows that the pressure fields are in a state of
‘anelastic’ balance with the temperature and velocity
patterns. The simplest balance involving buoyancy
B is described by the three-dimensional p.d.e.
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r2p ¼ qB=qz, where r2 is the elliptic Laplacian
operator in three spatial dimensions. The buoyancy
gradient term ‘forces’ a smooth pressure response
which decreases inversely with distance. For a verti-
cally oriented pattern of B, the pressure response is
negligible, and simple buoyancy forces dominate the
motion. However, a pattern of B tilted toward the
horizontal produces a pressure gradient force that
opposes B. Thus, static stability may be associated
with motions that may or may not be in hydrostatic
balance, depending on the distribution of buoyancy in
the vertical plane.

The simplest tool for understanding these motions
is the theory of buoyancy waves (see ‘Atmospheric
Waves’). For patterns of motion and temperature with
phase fronts tilted at an angle a from the vertical, the
free oscillation has a frequency o ¼ N cos a. We see
that N is actually an upper limit on the frequency,
corresponding to the vertical orientation for a simple
buoyancy oscillation. Suchmotions are nonhydrostat-
ic. Much slower oscillations occur when the wave
patterns are tilted toward the horizontal, a result of the
‘braking’ effect of the pressure field on the buoyant
parcel. These motions are nearly hydrostatic, and the
waves may propagate with a nondispersive phase
speed obeying

c2G ¼ N2=m2 ½6�
where m is the vertical wavenumber. Strong static
stability corresponds to fast horizontal wave speeds.

There are dramatic consequences of the simple
frequency dispersion relation. For example, the energy
of the waves is transmitted along the sloping wave
front at a group speed

cg ¼ N sin a=K ½7�
where K is the two-dimensional wavenumber (inverse
scale) of the wave pattern. We see that the energy
propagation rate increases with static stability, and
with angle a from the vertical. It follows that the
response to a confined impulsewill rapidly spread low-
frequency energy horizontally, while higher frequen-
cies will be found immediately above and below the
region. Imposed frequencies greater than N are
‘evanescent’: such energy cannot be propagated
away from the forcing. Interestingly, the orthogonal
relation between phase and group velocity vectors
implies that downward phase propagation is associ-
ated with upward energy propagation.

These properties have implications for a variety of
mesoscale responses of a stable atmosphere to surface
heating or mountains. For example, steady airflow U
over a mountain complex may be envisioned in terms
of periodic forcing. The above theory for low frequen-

cies predicts that (1) a wide mountain may cause
upwind ‘blocking’ of low-level air with high static
stability, and (2)motions over themountain are nearly
in hydrostatic balance. The theory for higher frequen-
cies suggests that very narrow mountains do not
disturb the flow far above the mountain, but an
intermediatemountainwidth yields a complex pattern
of vertically propagating wave patterns extending
upward and downwind of the mountain. In order for
energy to propagate upward, the wave fronts must tilt
upwind with increasing altitude and the waves trans-
port wind momentum down into the mountain. An
example is shown in Figure 4.

Static stability and wind variations influence the
vertical fluxes of mesoscale wave energy and momen-
tum which may link the upper atmosphere with the
surface. For example, the vertical structure of the
steady response with horizontal wavenumber k is
governed by a propagation coefficient

PðzÞ ¼ ½N2=U2 � k2� ½8�

Thewave profile ‘propagates’ vertically onlywhenP is
positive, or when static stability makes the Scorer
parameter N2=U2 sufficiently large. The vertical
wavenumber is then P1=2. Variations in stability or
wind will cause PðzÞ to vary, which corresponds to
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wave refraction in the vertical plane. Two categories
of phenomena result, depending upon whether PðzÞ
decreases or increases with height.

If stability decreases with height, then PðzÞ may
become negative, and the wave may be reflected
downward. Since the rigid Earth is also a reflecting
surface for the wave vertical motion, the mountain-
induced wave energy may become trapped in this
layer. In this case, intense downslope winds and
resonant ‘lee’ waves are possible. Other wave mech-
anisms, such as wave absorption at a critical layer
where U ¼ 0, depend more strongly on the wind
profile.

In the other extreme, weak static stability in the
boundary layer causes PðzÞ to increase with height
above the surface. A common idealization is a mixed
layer (N2 ¼ 0) capped at heightH by a sharp inversion
of strength Dyv. In this case, horizontal scales larger
than H are hydrostatic and move with speeds of
‘shallow water’ gravity waves obeying

c2G ¼ g0H½ � ½9�
We see that g0 ¼ gðDyv=yv), the ‘reduced gravity’
parameter for the inversion, plays an analogous role
to static stability for these hydrostatic motions. An
example of this kind of motion is the propagation of a
gust front, the leading edge of thunderstormoutflow in
the boundary layer. Another example is where this
kind of air layer is forced to flow over a mountain at
speedU; the inversion stability appears inversely in the
Froude number F ¼ U2=ðg0HÞ. This number repre-
sents a competition between the flow inertia and the
inversion stability, or equivalently between advection
by U and gravity wave propagation cG. Values
exceeding O(1) may be associated with blocking on
the upwind side of mountains, and strong downslope
winds and hydraulic jumps on the downwind side.

Large-Scale Circulations

Large-scale circulations are those of large horizontal
dimension, associated with low frequencies and
hydrostatic balance. For such motions, static stability
and the rotation of the Earth are important. Coriolis
effects limit horizontal parcel motions in a fashion
somewhat analogous to the buoyancy oscillation. The
natural frequency of this ‘inertia oscillation’ is simply
the Coriolis parameter f, which is about 100 times
smaller thanN. Thus, large-scale dynamics is ruled by
the two fundamental frequencies of geophysical fluid
dynamics: N and f . The most important large-scale
flow variable is the combination known as the
potential vorticity

q ¼ f þ Bð ÞN2 ½10�

which is proportional to both the absolute vorticity of
the winds and the static stability. Two frequency
classes of large-scale waves are possible. The higher
frequency class is inertio-gravity waves that obey

o2 ¼ f 2 þN2ðk2=m2Þ ½11�
Static stability is seen to increase the minimum
frequency f. These motions are never in a state of
geostrophic balance, so they play an important role in
the transient adjustments to thermal and mechanical
forcing of the atmosphere. Vertical propagation of
wave energy occurs only when frequency o exceeds f .
For example, diurnal atmospheric tides propagate
vertically only Equatorward of 301 latitude.

Horizontal energy propagation is highly dispersive
as a result of the Coriolis term: the largest scales
propagate energy very slowly, while the smallest scales
do so at the fast gravity wave speed cG. The separation
between large and small horizontal scales occurs at

l ¼ cG=f ¼ ðN=f Þm ½12�
known as the Rossby deformation radius.

The deformation radius is the natural horizontal
scale for large-scale atmospheric dynamics. From
eqn [12], it is the distance traveled by a gravity wave
in the time (f�1) required for Coriolis forces to deflect
the velocity. It represents the spatial scale for adjust-
ment of wind and pressure to geostrophic balance.
This scale of adjustment increases with the static
stability parameterN, and it decreases with rotation f .

The lowest-frequency class of large-scale dynamics
is that of quasi-geostrophic (QG) dynamics for which
‘o � f ’ (see Quasi-geostrophic Theory). These mo-
tions are always near a state of geostrophic and
hydrostatic balance, and are influenced strongly by
static stability and the Earth’s rotation. The QG form
of the potential vorticity corresponding to eqn [10] has
a variable part proportional to

qn ¼ �NN2r2p0 þ f 2 q2p0=qz2
� � ½13�

The response of p0 to thermal or vorticity forcing is
determined by eqn [13], which is a three-dimensional
Laplacian in coordinates that are stretched vertically
according to N=f . It follows that point forcing yields
an elliptically shaped response, with the major axis
lying in the direction of least resistance. For example,
large static stability of the stratosphere yields res-
ponses that are stretched horizontally and com-
pressed vertically. For a given vertical scale, this
property implies a horizontal influence distance equal
to the deformation radius. For a given horizontal
scale L, it implies a vertical influence distance called
the Rossby depth, given by HR ¼ ðf=NÞL, so that
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increasing the stability decreases the vertical coupling
distance HR.

Similar considerations may be applied to the QG
‘omega equation’ to distinguish the total response to
various patterns of thermal and vorticity forcing,
illustrating the crucial importance of static stability on
large-scale dynamics through the ratioN=f . There are
obvious global implications, since f is small at low
latitudes. Two major regimes of large-scale atmos-
pheric circulation are the result. For example, QG
instability theory indicates that baroclinic wave and
cyclone growth are possible only at mid–high lati-
tudes. Hence the tropics are less variable, except in
concentrated areas of moist convection (such as
tropical cyclones) where conditionally unstable air
lowers the effective ratio N=f . Similar arguments
account for the difference among the atmospheric
circulations of other planets.

Conclusions

Static stability acts through gravitational buoyancy
forces to suppress vertical motions, and helps to
control the weather systems and climate of the Earth.
In the Earth’s atmosphere, radiation and surface
energy fluxes act to create three main categories of
static stability.

1. Strong stability: The stratosphere is the most
extensive example. Strong stability there encour-
ages the vertical propagation of forced planetary
waves through westerly winds regions, but it
suppresses the growth of synoptic-scale circula-
tions and convection.

2. Weak static stability: The troposphere is the at-
mosphere’s dominant region of lesser, more varia-
ble static stability. As a result, instabilities may
produce weather systems on a range of scales. For
example, baroclinic wave circulations create var-
iable weather in middle and high latitudes, and
conditional instability may be realized as moist
convection.Moist convectionmay be organized on
the global scale (e.g., Hadley and Walker circula-
tions), the synoptic scale (e.g., tropical cyclones),
or the mesoscale (deep cumulus convection and
severe weather). The static stability for dry proc-
esses may be strong enough to allow mesoscale
mountain influences on the upper atmospheric
wind, or to suppress small-scale shear instability
which would otherwise produce clear air turbu-
lence.

3. Static instability: The energy balance of the Earth
system requires that the Earth’s surface provides
energy to the atmospheric boundary layer. This is

often associated with static instability, dry convec-
tivemotions, and sensible heating.Neutrally stable
conditions are also very common, in which case
turbulence transports latent energy away from the
surface, enhancing the possibility of subsequent
conditional instability.

In summary, the three regimes of static stability
account for much of the variety of weather and
climate. Ultimately, the various kinds of circulations
feed back on the static stability field itself, leading to
increased complexity of its space–time variability.

See also

Buoyancy and Buoyancy Waves: Theory. Convective
Storms: Overview. Dynamic Meteorology: Overview.
Thermodynamics: Moist (Unsaturated) Air; Saturated
Adiabatic Processes. Vorticity.
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Introduction

The term stationary waves refers to the zonally
asymmetric features of the time-averaged atmospheric
circulation. They are also referred to as standing
eddies, where standing refers to the time averaging
over a month to season, and eddy is a generic term for
zonally asymmetric patterns. The zonal asymmetries
of the seasonal circulation are particularly interesting
because they occur despite the longitudinally uniform
incidence of solar radiation on our planet. Stationary
wavesmust arise, ultimately, due to asymmetries at the
Earth’s surface – mountains, continent–ocean con-
trasts, and sea surface temperature asymmetries.
Understanding precisely how the stationary waves
are generated and maintained is a fundamental prob-
lem in climate dynamics.

Stationary waves have a strong effect on the climate
through their persistent northerly and southerly sur-
face winds, which blow cold and warm air. Advection
of moisture by the stationary wave flow contributes to
hydroclimate variations over the continents. Beyond
their direct advective impact, stationarywaves control
the location of stormtracks – the preferred paths of
synoptic weather systems in the midlatitudes, and the
zone of tropical–extratropical interaction in the
subtropics. Stationary waves are important also on
longer time scales, since interannual climate variabil-
ity projects substantially on the zonally asymmetric
component of the flow. Finally, stationary waves
contribute significantly to the maintenance of the
complementary zonally symmetric circulation, in
both climatological and anomalous states; the contri-
bution is through quadratic fluxes of meridional
momentum and heat. Stationary waves are thus a
fundamental feature of the general circulation of the
troposphere.

Observed Structure

Stationary waves are stronger in the Northern Hem-
isphere because of greater orography and continenta-
lity.Wave amplitudes in the NorthernHemisphere are

largest during winter, modest during the transition
seasons of spring and autumn, and weakest during
summer. The Southern Hemisphere stationary waves
and their seasonal variation are substantially smaller
in comparison.

Northern Hemisphere Winter Structure

Because of the geostrophic balance condition, station-
ary waves in the upper-level flow can be conveniently
displayed using the height of the 300 hPa pressure
surface. The geostrophic wind blows along the height
contours,with lower heights to the left in theNorthern
Hemisphere, and with a speed proportional to the
gradient of the height field. The height of the 300 hPa
surface varies considerably with latitude and longi-
tude (Figure 1A), with the mean height being close to
9 km. The polar vortex is clearly recognizable in this
projection. The vortex is due to insolation and
planetary rotation, both zonally symmetric inputs,
but the vortex has notable departures from symmetry:
troughs over northern Canada and western Siberia,
and ridges over the eastern Atlantic and Pacific. (The
zonally asymmetric component of the field which
highlights the troughs and ridges is shown later, in
Figure 2A.) The regions where the height contours are
close together correspond to strong westerly (coming
from the west) jets: the Asian–Pacific and North
American jets.

Stationary waves at the Earth’s surface can be
identified using the sea-level pressure field, which in
elevated areas is the surface pressure reduced to sea
level. The lightly shaded regions in Figure 1B are
surface lows, and the dark regions are highs. Lows are
found over both ocean basins, the Aleutian Low in the
Pacific and the Icelandic Low in the Atlantic. The
Aleutian Low is centered off the tip of the Aleutian
Islands chain, and the counterclockwise flow around
the low brings southerly marine air to coastal Canada
andAlaska, lessening the severity of thewinter season.
To the south of the Icelandic Low is a high-pressure
center known as the Azores High. Strong onshore
surface flowoccurs between the Icelandic Low and the
Azores High, again lessening the severity of coastal
winters in Europe. Much higher surface pressure can
be found over central Asia in a center called the
Siberian High. Between the Siberian High and the
Aleutian Low is a region of strong northerly flow,
which brings down colder air and lowers near-surface
temperature along the east coast of Asia. The winter
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sea-level pressure field can be broadly characterized as
being high over the continents and low over the
comparatively warmer northern oceans. Since sea-

level pressure is related to column temperature,
vertical coherence of the continent–ocean temperature
contrast in the lower troposphere is key, as discussed
later.

The stationary wave pattern changes considerably
between the surface and 300 hPa, and these changes
are highlighted in Figure 2. The top panels show eddy
heights at the 300 and 850 hPa levels, revealing the
troughs and ridges. These features are displaced
westwardwith increasing height, i.e., westward tilted,
assuming that the same features are being tracked at
the two levels. The low-level trough over the Pacific is
positioned 15–201westward of the Aleutian Low, and
gives way to a trough centered on the east Asian coast
at 300 hPa, which is associated with the Asian–Pacific
jet. The 850 hPa trough over the North Atlantic is
likewise shifted relative to the Icelandic Low, and
migrates further westward towards Hudson Bay at
upper levels; it brings cold Arctic air into the central
and eastern United States and Canada. The low-level
feature over Eurasia (Figure 2B) is more definitely
linked to the surface Siberian High, but there is no
corresponding feature of significance present at the
upper level – in contrast with the vertically coherent
structure of the Azores High.

The vertical structure of stationary waves is plotted
in Figures 2C and D, which are cross-sections of the
eddy height field at 401 N and 601 N. The shading in
these panels depicts the eddy temperature field. (In
hydrostatic balance, this is the vertical derivative of
the height field in log(p) coordinates.) These plots
allow for the tracking of features.The northern section
shows the pronounced westward tilt of the east Asian
trough, the Rocky Mountain ridge, and the Azores
High. The tilt is a consequence of meridional temper-
ature advection by the associated geostrophic wind,
which induces cooling to the west (east) of the low
(high). Interestingly, connection with the prominent
surface features is not strong, except in case of the
highs. The Aleutian and Icelandic Lows, in particular,
are quite shallow (p0 800 hPa), exhibiting little
connectivity to the westward displaced upper-level
troughs. The southern section (401 N) nicely
reveals the limited vertical extent of the Siberian
High, in contrast with the deep structure of the Azores
High.

Comparison of the two cross-sections indicates a
striking difference in vertical variation of the eddy
heights, particularly in the Eastern Hemisphere. In the
northern section, the wave amplitude keeps growing
with height up until the tropopause, and even beyond.
The structure is indicative of upward propagation of
stationary wave energy into the polar lower strato-
sphere. (Note that thewave’s phase is stationary, so the
phase velocity is zero, but its group velocity – the
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Figure 1 (A) Average height of the 300hPa pressure surface in
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Siberian High, Icelandic Low, and the Azores High. Map domain

begins at 201 N.
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velocity of energy propagation – is not zero.)
In contrast, the 401 N structure is indicative
of trapping of wave energy within the troposphere.
The eddy height at the 10 hPa level, displayed
using shaded contours in Figure 3, reveals the presence
of a large-amplitude stationary wave at an altitude
of nearly 30 km. The zonal wavelength of this
pattern is evidently close to the circumference of
the latitude circle, i.e., the largest possible. Both
observations and theory (see Rossby Waves) suggest
that disturbances of such large wavelengths can
propagate into the stratosphere. The wave pattern in
Figure 3 moves the center of the polar vortex away
from the geographical pole and reduces the strength of
the vortex.

Equatorial westerly duct An important circulation
feature in the deep tropics during northern winter is
the presence of strong upper-level westerlies
(B10m s�1) over the Pacific and Atlantic longitudes.
This is notable because the equatorial belt is
otherwise occupied by easterly winds. Zonal winds
at 200 hPa are shown in Figure 4A, with the
easterly region shaded. A vertical section at the
equator (Figure 4B) shows westerly zones to be
confined to the near-tropopause region (100–
300 hPa), with maximum values (B15m s� 1) at
200 hPa. The origin of equatorial westerly zones is
not well understood, but their absence in northern
summers and El Niño winters suggests that
their occurrence is linked to the absence of
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contours inBenclose regionswhere the surfacepressure is less than850hPa. In these regions, thepressure surface is interpolatedbelow

ground. (CandD) 1000–100 hPazonal–vertical cross-sectionsof eddyheight and temperatureat (C) 601Nand (D) 401N.Contour interval
for eddy height is 50m, and dashed contours represent negative values. Eddy temperature is plotted in 3K contours with dark (light)

shading for positive (negative) values in excess of 3K, and zero contours suppressed. ‘SH’, ‘AL’, ‘IL’, and ‘AH’ are the surface lows and

highs of Figure 1B.
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strong convection in the central equatorial Pacific and
Atlantic longitudes.

Rossby wave propagation theory (see Rossby
Waves) suggests that tropical easterlies are an effective

dynamical barrier, shielding the equatorial zone
from the influence of midlatitude perturbations.
Openings in this barrier, or westerly ducts, thus
provide a conduit for equatorward penetration of
midlatitude waves during northern winter – a timely
opening, since the midlatitude stationary and
transient wave activity is most vigorous in winter.
Interaction between midlatitudes and the equatorial
zone can impact convection and water vapor distri-
bution in the tropics and subtropics. Lateral mixing
from extratropical intrusions can also influence tracer
transports.

Northern Hemisphere Summer Structure

The northern polar vortex is much weaker in summer
than in winter. The summer vortex is shown at the
150 hPa level in Figure 5A, and is evidently quite
symmetric. It also lacks the tight meridional gradients
that characterized the winter vortex. A somewhat
higher level was chosen for displaying the summer
pattern in order to capture fully the divergent mon-
soonal flow and accompanying rotational circulations
over the warmer landmasses. The upper-level asym-
metries include the very prominent anticyclone over
Tibet, and troughs over the subtropical ocean basins
which are easier to appreciate in the eddy height plots,
shown later.

31
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Figure 3 Average height of the 10hPa pressure surface in

northern winter (DJFM). Thick contours show the height field in

500m increments. The eddy height is plotted at 100m intervals,

with dark (light) shading for positive (negative) values in excess of

100m. The zero contour for eddy height is suppressed.
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Figure 4 (A) The 200hPa zonal wind in northern winter (DJFM), contoured in 10ms� 1 intervals. Regions where the zonal wind blows

from the east are shaded. (B) Zonal–vertical cross-section of zonal wind at theEquator, contoured in 5ms� 1 increments, with shading for

easterly regions. Top level in (B) is 50 hPA.
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The summertime sea-level pressure (Figure 5B) has
almost a reversed winter structure. Two subtropical
anticyclones of comparable strength are present in the
ocean basins, underneath the upper-level troughs.
They are referred to as the Pacific High and the
Bermuda High. The Bermuda High is the summer
equivalent of the Azores High, which expands while
the Icelandic Low retreats northward during the
transition from winter to summer. The Pacific
sector undergoes a similar winter to summer transi-
tion. The subtropical anticyclones constitute
the descending branch of the regional Hadley
cells which are driven by deep convection in the
tropics. Descending motions induced to the north-
west of subtropical monsoonal heating may also
contribute to anticyclone development.

Over the continents, sea-level pressure is low during
summer. A large region of low sea-level pressure is
present over Asia beneath the Tibetan anticyclone
(which is actually centered over northern India). The
continental-scale anticyclone is an integral element of
the Asian monsoon circulation, being the rotational
response to deep heating.

The cross-section of eddy height at 301N (Figure
5C) shows the internal baroclinic structure that is
typically produced by deep heating in the tropics. The

Tibetan anticyclone reaches maximum amplitude at
150 hPa, the level displayed in Figure 5A. Over the
oceans, the structure is also baroclinic, but the Pacific
and Bermuda Highs are evidently shallow features –
although not as shallow as theirwinter counterparts in
Figure 2C. The strong positive temperature centered
over the Tibetan plateau is caused by latent heat
release in the monsoon rains. On the other hand,
negative temperatures over the Pacific and Bermuda
Highs are produced, in part, from the long-wave
radiative cooling to space.

The eddy height fields during summer are displayed
in Figure 6. The Tibetan anticyclone is the prominent
feature at upper levels. Baroclinic structure is evident
in the NorthernHemisphere, with upper-level troughs
positioned over the subtropical highs. Also evident at
the upper level is a weak ridge over North America
that is associated with the local monsoon system,
which includes the Mexican monsoon. The western
edge of the Bermuda High produces low-level south-
erly flow, which brings in significant amounts of
moisture from the Gulf of Mexico into the US Great
Plains. A notable low-level feature in the Southern
Hemisphere is the Mascarene High centered south of
Madagascar, which generates strong easterlies along
its northern flank (recall that the flow around a
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Figure5 (A) Average height of the 150hPa pressure surface in northern summermonths (June, July, and August: JJA). The average is

over 20 summer seasons (June 1980 through August 1999), and is computed from NCEP reanalysis. The contour interval is 100m. (B)

Average sea-level pressure for the samemonths, plotted as in Figure 1. The letters ‘L’ and ‘H’ designate the prominent centers of action:

theBermudaHigh, thePacificHigh, and thebroad regionof lowpressureassociatedwith theAsianmonsoon.Mapdomainbeginsat 151N.
(C) The 1000–100hPa zonal–vertical cross-section of eddy height and temperature at 301N, with contours and shading as in Figure 2D.

‘TA’ gives the location of the Tibetan anticyclone, which is enclosed by the 14.3 km contour near the top of panel (A).
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Southern Hemisphere High is counterclockwise).
After turning northward along the African coast and
crossing the Equator, this flow evolves into the south-
westerly monsoon flow over the Arabian Sea.

In the Asian monsoon circulation, equatorial and
cross-equatorial flows play an important role, and
these cannot be appreciated in the height field, since
the geostrophic relationship breaks down at the
Equator. The summer circulation figures are thus
complemented with a vector-wind plot at 850 hPa
(Figure 6C); only the zonally asymmetric components
of winds are plotted. Strong cross-equatorial flow
occurs along the east coast of Africa, bringing mois-
ture to the Asian continent. Easterly flow is found all
along the Equator, particularly along the southern
flank of the Pacific and Bermuda Highs.

Southern Hemisphere Stationary Waves

The Southern Hemisphere has much less land than
the Northern Hemisphere, resulting in weaker as-
ymmetries at its lower boundary. A more zonally
symmetric circulation, with smaller-amplitude sta-
tionary waves, is thus expected. Due to the larger
fraction of ocean, the seasonal cycle will also be
muted. The seasonal change in surface temperature,
for example, will be smaller than in the Northern
Hemisphere.

The southern vortex is shownduring theDecember–
March (southern summer) and June–August (southern
winter) periods in Figure 7. As before, the winter
vortex is shown at 300 hPa and the summer one at the
higher 150 hPa level. Thick lines mark the height
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Figure 6 Eddy height at (A) 150 hPa and (B) 850hPa during northern summer (JJA), with a contour interval of 25m and dark (light)

shading for positive (negative) values in excess of 25m. (C) Eddy wind vectors at 850hPa. Regions where the eddy wind speed is in

excess of 5ms�1 are shaded, and the longest arrow represents a wind speed of 18ms� 1. Eddy winds with speeds below 2ms� 1 are

suppressed. As in (B), the thick closed contours in (C) surround mountainous regions where the surface pressure is less than 850hPa.
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contours while the shaded region shows the corre-
sponding eddy height patterns. Note that in the
Southern Hemisphere the flow around a low is
clockwise rather than counterclockwise. The southern
vortex is considerably more symmetric than the
northern one. Eddy heights are thus smaller, and
contoured at 25m in both summer and winter (Figure
7). The summer and winter patterns are both domi-
nated by the wave number 1 component in the high
latitudes so that opposite points along a latitude circle
have opposite polarities. The wave component exhib-
its similar phase and amplitude structure in the two
seasons, indicating a significant role of Antarctic
orography in its forcing. The subtropics shows greater
seasonality, with a ridge over northern Australia in
summer; this upper-level feature is linked to the
Australian monsoon outflow.

The extent of zonal asymmetries at the surface is
examined using sea-level pressure which is contoured
with a 2.5 hPa interval as opposed to 5.0 hPa in the
Northern Hemisphere. The summer distribution
(Figure 7C) is much like the one in the Northern
Hemisphere (Figure 5B), with high-pressure cells

occupying the midlatitude ocean basins. In summer,
the subtropical highs are interrupted by continental
heat lows, caused by the warmer land temperatures.
The winter sea-level pressure (Figure 7D) is more
zonally symmetric, unlike the Northern Hemisphere
where asymmetries are most pronounced during
winter (cf. Figures 1 and 2). A prominent feature of
the southern winter pattern is the Mascarene High
extending from Africa to Australia, which generates
strong south-easterly flow along its northern flank. Its
linkage with south-westerly flow over the northern
IndianOcean andAsian summermonsoon can be seen
in Figure 6C.

The vertical structure of Southern Hemisphere
stationary waves is shown in Figure 8 at 301 S in
summer and 601 S in winter – the latitude of the
subtropical highs and the polar wavenumber 1 pat-
tern, respectively. Contour intervals in Figure 8A are
10m for height and 1.5K for temperature, as opposed
to 50m and 3.0K in northern summer (Figure 5C). As
in the Northern Hemisphere, the subtropical highs
have a baroclinic structure with upper-level troughs
superimposed on surface highs. The heat lows over
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Figure7 (A)Height of the150 hPapressuresurface in theSouthernHemisphereduringDJFMmonths (southernsummer). (B)Height of

the 300hPa surface during JJA months (southern winter). Thick solid contours show the total height field in 200m increments, while thin

contours represent the eddy height. The contour interval for eddy height is 25m, with dark (light) shading for positive (negative) values in

excess of 25m. The zero contour for eddy height is suppressed. (C, D) Sea-level pressure for (C) DJFM and (D) JJA months, in 2.5 hPa

increments, with dark (light) shading for values above 1015hPa (below 1012.5 hPa). Map domain is from the Equator to the South Pole.

Sea-level pressure values over Antarctica are unreliable and hence suppressed.
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Australia and southern Africa are quite shallow and
intense: this is typical of arid regions where rainfall
and mid-tropospheric latent heating do not occur in
response to the surface heat low.Thewinter height and
temperature structures (Figure 8B) are plotted using
25mand 1.5K intervals, as opposed to 50mand3.0K
innorthernwinter (Figures 2C,D), due to their relative
weakness. The southern winter pattern evidently
changes littlewith height. There ismuch lesswestward
tilt in comparison with the northern winter structure
(Figure 2C), indicating less upward propagation of
wave energy. Although westerlies are necessary for
upward propagation, theoretical considerations sug-
gest that propagation is hindered by the presence of
excessive westerlies (westerlies exceeding the Rossby
critical velocity), the southern winter vortex is
substantially stronger than its northern counterpart
(cf. Figures 1A and 7B; note the larger contouring
interval in the latter figure).

Transience in the Atmosphere

The above review of stationary wave structure does
not convey the extent to which these waves are
representative of the instantaneous circulation. For
example, how stationary (or transient) is the upper-
level circulation during northern winter? Can the
stationarywaves be ‘seen’ on synopticweather charts?
The degree to which these charts depart from the
climatological pattern is a measure of the strength of

the transient flow. Transient activity is estimated in
northernwinter in Figure 9 because it is expected to be
strongest in this season. The greater vertical shear of
the thermally balanced Asian–Pacific and Atlantic jets
in winter makes them prone to hydrodynamic insta-
bility, which in the context of geostrophic flows is
called baroclinic instability. Baroclinic instability
produces transient disturbances on subweekly time
scales.

The extent to which the stationary wave structure is
representative of instantaneous flow is depicted in
Figure 9 by projecting the daily, instantaneous
(00UTC), 300 hPa circulation on the climatological
wave pattern (Figure 2A) during the winters of 1980/
81 and 1989/90. Correlation – a measure of the
structural similarity of the two maps (without regard
to amplitude) – is plotted on the y-axis. The correla-
tion ranges from 0.2 to 0.8 in these winters, indicating
that the climatological pattern accounts for up to 65%
of the spatial variance. High correlation is however
achieved only on a few days in each winter. More
typically, the correlation is between 0.5 and 0.6.
Interestingly, the correlation drops and recovers over a
2–3 week period, 1–2 times each winter, revealing the
establishment time scale of the climatological pattern.
Dynamical analysis of such episodes, especially of the
recovery phase, can shed light on the establishment
mechanisms of stationary waves.

The question of whether the climatological wave
pattern can be ‘seen’ on synoptic charts is addressed in
Figures 9B and C, which show the instantaneous
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Figure 8 Zonal–vertical cross-sections of eddy height and temperature in the Southern Hemisphere at (A) 301S in DJFM and (B) 601S
in JJAmonths. In (A), the contour interval for eddy height is 10m, with dashed contours for negative values. The contour interval for eddy

temperature in (A) is 1.5K, with dark (light) shading for positive (negative) values in excess of 1.5K, and zero contours suppressed.

In (B), contour intervals for eddy height and temperature are 25m and 1.5K, respectively, with plotting conventions as in panel (A).
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(00UTC) wave pattern on two days: 1 February 1981,
when the spatial correlation is high (0.74; Figure 9B),
and 16 February 1990, when the correlation is low
(0.29; Figure 9C). The climatological pattern (Figure
2A) can be clearly recognized in the former plot, but
not in the latter. Even when structurally similar, the
patterns can evidently have very different wave
amplitudes; the contour interval is 50m in Figure 2A
but 100m in Figure 9B.

Forcing of Stationary Waves

Stationary waves are generated, ultimately, by the
zonal asymmetries at the Earth’s surface: orography,
continent–ocean contrasts, and sea surface tempera-
ture gradients. Through dynamic and thermodynamic
interactionswith the zonal-mean flow, and subsequent
mutual interactions, surface inhomogeneities produce
zonally asymmetric circulation and precipitation fea-
tures at upper levels. Comprehensive numerical mod-
els of the atmosphere,which include coupling between
physical and dynamical processes, are able to realis-
ticallymodel the observed stationarywaves. In a sense,
the often posed question – on relative contribution of
orography and other processes in forcing of stationary
waves – has been addressed by such prognostic general
circulation models (GCMs). Comparison of GCM

simulations obtained with and without orography
provide insight. In these assessments, the change in the
heating distribution is attributed to orographic forc-
ing, whose circulation impact is found to be compa-
rable to that of all other processes put together.

Historically, answers to the above question were
sought in a frameworkwhere ‘orographic forcing’ was
used more restrictively – to refer to the dynamical
forcing of flow from mechanical diversion. In such
analysis, the entire heating distribution, regardless of
its origin (e.g., from condensation in adiabatically
cooled upslope flow), was regarded as an independent
forcing. This framework was adopted, perhaps, be-
cause mechanical diversion of flow by an orographic
barrier is conceptually easier to model. Such studies
lead to the rapid advancement of stationary wave
theory, including construction of potential vorticity
conserving models for the responses to orography,
meridional and vertical wave propagation analy-
sis, and understanding of troposphere–stratosphere
interaction.

Theoretical Considerations

Large-scale atmospheric motions in the extratropics
are approximately hydrostatic and quasi-geostrophic
(QG) in character. The hydrostatic approxima-
tion recognizes the operative balance between the
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Figure 9 (A) Spatial correlation between the instantaneous (00UTC) and climatological 300hPa eddy heights during 1980/81 (solid

curve) and 1989/90 (dashed curve) winters. Correlations are area weighted and include height data from 201 N to the north pole.

(B) 300 hPa eddy height on 1 February 1981, when the spatial correlation was 0.74. (C) Eddy height on 16 February 1990, when the

correlation was 0.29. In (B) and (C), the contour interval is 100m (twice the interval in Figure 2A), with dark (light) shading for positive

(negative) values in excess of 100m.
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horizontally varying pressure and density perturbat-
ions, while the QG approximation acknowledges the
near-balance between the Coriolis force and the
horizontal pressure gradient. QG flow is thus domi-
nated by the rotational component. Its evolution,
however, is determined, in part, by the comparatively
weaker divergent flow component, as described by the
vorticity equation

qz
qt

þ Vh � =zþ bv ¼ �ð f þ zÞð= � VhÞ ½1�

Here, z is the QG relative vorticity ð¼ k̂k�ð=�VhÞ ¼
=2cÞ, c is the geostrophic streamfunction, f is the
Coriolis parameter with qf=qy ¼ b, and Vh is the
horizontal QG flow. The right-hand term is the
product of absolute vorticity ðf þ zÞ and horizontal
convergence, and is often called the ‘stretching term’
because convergent flow leads to stretching of vortex
tubes.

Due to compressibility of air, evolution of the
thermodynamic state is conveniently described using
potential temperature, y ¼ Tðp0=pÞR=Cp , which is
conserved in adiabatic motion; p0 is the reference
pressure (1000 hPa). Potential temperature thus
changes only in response to diabatic heating

.
Q, as

follows:

qy
qt

þ Vh � =yþw
qy
qz

¼
.
Q

Cp
ðy0=T0Þ ½2�

where y0 ¼ T0ðp0=pÞR=Cp , with T0 ¼ Tðp0Þ.
Since stationary waves refer to the zonally varying

component of the flow (here onward denoted by
prime), their dynamics can be described, to first order,
by linearizing eqns [1] and [2] about the zonal-mean
circulation, �UUðy; zÞ and �yyðy; zÞ. The linearized equa-
tions are valid for small-amplitude perturbations:

z
0
t þ �UUz

0
x þ v0ðb� �UUyyÞ � �f ð= � V 0

hÞ ½3�

y
0
t þ �UUy

0
x þ v0�yyy þw0�yyz � ð .Q0y0=T0cpÞ ½4�

For convenience, subscripts are used to denote the
partial derivatives.

Orographic Forcing and Response

The forcing and propagation of stationary waves can
be discussed using eqns [3] and [4]. In contrast with
diabatic heating, which is explicitly present as right-
hand forcing in the thermodynamic equation, the
mechanical forcing by orography ðh0Þ is implicitly
present through its kinematic impact on vertical
velocity at the lower boundary ðwsÞ. In the presence
of the zonal-mean circulation, the linearized vertical
velocity, w

0
s, equals

�UUh
0
x.

In simplified treatments of orographic intera-
ction, the geophysical fluid is additionally considered
to be homogeneous and incompressible ð= � Vh ¼
�qw=qzÞ, so that response is determinable using the
vorticity equation alone – this ‘shallow water’ ap-
proximation is indeed reasonable for the interaction of
oceanic flows with underwater topography, but some-
what limited in capturing aspects of the atmospheric
interaction. In shallow water theory, density (or
temperature) is constant, and the horizontal flow,
including horizontal divergence, is height independ-
ent. Assuming that a rigid lid is placed at the top of the
fluid ðz ¼ HÞ, so that vertical velocity vanishes there,
one obtains qw0=qz � �ð �UUh

0
xÞ=H. The forced waves

are then modeled by eqn [5], where �UU has been
additionally assumed to be latitude independent, and
perturbation vorticity is dissipated (e.g., by Ekman
spin-down) on an e�1 time scale:

½q=qt þ �UU q=qxþ e�ðc 0
xx þ c

0
yyÞ

þ bc
0
x � �ð f=HÞ �UUh

0
x ½5�

To understand the forced response, consider an
arbitrary Fourier component of the geostrophic
streamfunction: c0ðx; y; tÞ ¼ Realfĉck; le

iðkxþly�orÞg,
where the hat denotes the complex amplitude corre-
sponding to zonal and meridional wavenumbers, k
and l, and associated frequency o. For such a pertur-
bation, eqn [5] yields the solution

ĉc ¼ f ĥh

H½ðk2 þ l2Þð �UU � cÞ= �UU � b= �UU � ieðk2 þ l2Þ=ð�UUkÞ�
½6�

For stationary waves ðo ¼ 0Þ, the zonal phase speed,
cð¼ o=kÞ, vanishes. This simplifies the first term in the
denominator to ðk2 þ l2Þ. In the presence of dissipa-
tion, the orography and streamfunction are not in
phase, since the denominator in eqn [6] is complex.
The possibility of resonance is also indicated in the
inviscid case ðe ¼ 0Þ, when ðk2 þ l2Þ ¼ b=�UU. Dissipa-
tion however limits the wave amplitude at resonance,
with ĉc / iĥh. The streamfunction and orography are
901 phase-shifted (or in quadrature) in this case, with
the trough in the flow being a quarter wavelength
downstreamof themountain ridge.When forcing is on
larger scales, ðk2 þ l2Þob= �UU, planetary vorticity ad-
vection dominates zonal advection of relative vorticity
in balancing the orographically induced vorticity on
upslopes and downslopes. Both the real and imaginary
parts of the denominator in eqn [6] are negative in this
case, which puts the trough within a quarter wave-
length downstream of the ridge.
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It is interesting that troughs in the observed 300 hPa
stationary wave pattern (cf. Figure 2A) are also
downstream of the orographic features, but the extent
to which these are forced by local orography
remains somewhat uncertain, as discussed later.
Also, the assumed Fourier representation of the
streamfunction implies the presence of meridional
boundaries which confine wave energy to a midlati-
tude channel – a set-up conducive for resonance. The
sinusoidal zonal structure is also unrealistic, since
orographic features are generally localized. In nature,
the wave energy propagates away zonally, meridion-
ally, and vertically from the localized forcing
region, thus calling into question the validity of the
solution [6].

The pedagogically useful shallow-water model
of orographic interaction is limited for other reasons
as well. The tropospheric flow cannot be assumed to
be homogeneous and incompressible, since cooling
(heating) from adiabatic expansion (compression)
during ascent (descent) is important in the thermody-
namic budget. Moreover, a flow configuration which
satisfies the vorticity eqn [3] can be unbalanced from
the viewpoint of this budget. For example, when
planetary vorticity advection dominates the left-
hand side in balancing the upslope divergent flow in
eqn [3], the thermodynamic budget [4] is unbalanced
in the absence of condensation heating (precipitation),
since both adiabatic ascent and equatorward
flow lead to colder temperatures. The generation of
orographic response must thus be understood by
considering the vorticity and thermodynamic equa-
tions together, so that any implications that one may
have for the other are fully accounted for. Such
considerations lead to the development of the QG
potential vorticity equation.

QG Potential Vorticity Equation

The prediction equation for QG flow that does
not explicitly reference the divergent flow
component is called the QG potential vorticity
equation. Although it can be derived quite
generally, the focus here is on its simplified linearized
version, when the zonal-mean flow �UU is
independent of latitude. The equation is derived
by eliminating the divergent flow from eqns [3]
and [4]. In the zn ¼ ðRT0=gÞ lnðp0=pÞ co-
ordinate, which reduces to geometric height in an
isothermal atmosphere, the QG potential vorticity
equation is

q0
t þ �UUq0

x þ v0�qqy ¼ R

Hcpr0

q
qzn

r0
.
Q0

N2

� �
½7�

where

q0ðx; y; zÞ ¼ c0
xx þ c0

yy þ
f 2

N2r0

q
qzn

r0
qc0

qzn

� �

and

�qqyðzÞ ¼ b� f 2

N2r0

q
qzn

r0
q�UU
qzn

� �
½8�

Since divergent flow is not referenced by this equation,
it is of some interest to examine the manifestation of
orographic forcing in this analysis framework. Not
surprisingly, this forcing enters as a lower boundary
condition, but in the thermodynamic equation [4].
This is because of the direct reference to vertical
velocity in eqn [4], in contrast with the vorticity
equation [3] which refers only to its vertical gradient.
With w

0
s ¼ �UUh

0
x, the boundary condition conveying

orographic forcing is

y
0
t þ �UUy

0
x þ v0�yyy

¼ � �UUh
0
x
�yyz þ ð .Q0y0=T0cpÞ at the surface ½9�

Assume for purposes of this discussion that diabatic
heating vanishes at the surface, so that only adiabatic
cooling (warming) is occurring on the upslope (down-
slope). In steady flows, the heating can be balanced by
zonal eddy advection and/or meridional advection of
mean temperature. If upslope cooling is compensated
by the latter, the upslope flow will be poleward, and a
high-pressure center will be positioned over the
mountain ridge near the surface. The response at
upper levels depends upon the zonal scale of moun-
tains: large wavelengths will propagate into the
lower stratosphere, and phase lines will tilt westward
with increasing height, all as depicted in the
Figure 10A schematic. It is interesting that although
thermal advection and vertical wave propagation
are absent in the shallow water model, the
horizontal structure of the long-wavelength solution
(in the presence of damping, eqn [6]) is not
too different from that indicated at upper levels in
Figure 10A.

Heating Response

The stationary wave response to heating can be qual-
itatively understood from the thermodynamic equation
[4]. In the deep tropics, horizontal variations of geopo-
tential (and temperature) are much smaller since it is
difficult to maintain them in the presence of the weak
Coriolis force. Consequently, horizontal temperature
advection is ineffective in balancing diabatic heating in
eqn [4].Away fromthe surface, heating is thusbalanced,
almost entirely, by adiabatic cooling, with the vertical
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profile of w0 closely following that of heating. A
substantial portion of heating in the tropics results
from deep convection, which produces strongest heat-
ing in the mid-to-upper troposphere, as shown later in
Figure 11C. Such heating distribution leads to conver-
gence (divergence) in the lower (upper) troposphere,
which results in vortex stretching (squashing). The
rotational response to the induced vorticity depends on
the horizontal forcing scale: if the scale is large, the
stretching is offset by poleward advection of planetary
vorticity, which is tantamount to the surface low being
positionedwestwardof theheat source,as schematically
illustrated in Figure 10B.

In the midlatitudes, heating does not extend as
deeply into the troposphere as in the tropics. Heating
in the Pacific and Atlantic stormtracks, for example, is
confined mostly to the lower troposphere, as shown
later in Figure 11B. Midlatitude heating is offset to a
large extent by horizontal temperature advection;
larger temperature gradients are sustainable in mid-
latitudes due to the greater Coriolis force. Large-scale
heating in midlatitudes is balanced, mostly, by cold
advection from the north; the near-surface low is
thus positioned eastward of the heating. Interestingly,
vertical motion in the vicinity of midlatitude heating
is determined by vorticity balance considerations –
a complete reversal of the tropical situation:
cold advection from the north brings with it higher
vorticity air as well, and this induced vorticity
advection must be offset if a steady state is to be
maintained. The compensation is accomplished by
vortex compression, which has implications for the
temperature field.

Wave Propagation

The qualitative arguments discussed above are
helpful in understanding the nature of response in
the forcing region. The stationary wave response
is however not confined to the forcing region alone,
since Rossby waves propagate zonally, meridionally,
and vertically, carrying the disturbance (energy)
into the far field (unforced region). The energy
propagation, or group velocity, characteristics depend
both on the perturbation scale and structure of the
basic state. Some zonal-mean zonal wind configura-
tions encourage Rossby wave propagation, while
others impede it. Basic state flow can thus profoundly
impact wave propagation into the tropics and the
stratosphere.

Theoretical analysis helps to focus on the basic state
attributes that are influential, e.g., the direction and
curvature of the zonal-mean zonal wind. A useful
quantity in wave propagation analysis is the refractive
index which seizes on these and other relevant
attributes. A display of refractive index variations is
often helpful, since it conveys, to first order, the wave
propagation pathways, as waves are generally refract-
ed towards higher refractive index regions. Such
analysis suggests that midlatitude stationary waves
are refracted towards the Equator, drawn there by the
large index values resulting from diminishing westerly
winds. The tropical easterlies, in contrast, present an
effective dynamical barrier to equatorward propaga-
tion of midlatitude stationary waves. In the vertical,
waves with large horizontal scales alone can propa-
gate upward, but only when the upper-level westerlies
are not too strong.

Mid-lat
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Tropics
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Figure10 Schematicdepictionof the longitude–height response

forced by (A) westerly flow over midlatitude orography, (B) tropical

heating, and (C) midlatitude heating, all taken from Hoskins and

Karoly (1981). The orographic response is shown for the long-

wavelength case, and is determined from both dynamic and

thermodynamic (i.e., quasi-geostrophic potential vorticity) consid-

erations. The arrows depict vertical motion, and circled crosses

and dots denote poleward and equatorward flow, respectively. H

and L denote the pressure ridge and trough, with the lines showing

the vertical tilt of the pressure wave. W and C are the warmest and

coldest air, respectively.

2132 STATIONARY WAVES (OROGRAPHIC AND THERMALLY FORCED)



Diabatic Heating in Northern Winter

Diabatic heating plays a prominent role in the forcing
of stationary waves. In stationary wave theory, it is an
explicit forcing in the QG potential vorticity equation
[7], and even orographic forcing in this theoretical
framework manifests as surface heating [9].

In nature, heating resulting from the change of
phase of water substance, turbulent eddy diffusion,
and short-wave and long-wave radiative fluxes is
referred to as diabatic heating. (Note that the temper-
ature of air parcels can change even without any
diabatic heating, from adiabatic compression or
expansion.) In contrast with Earth’s orography, whose
highly accurate measurements are widely known, the
three-dimensional structure of diabatic heating is only
beginning to be described. The main reason why the
heating distribution has remained uncertain is that,
unlike other quantities, heating is not directly meas-
ured. It is, instead, estimated, usually as a residual in
the thermodynamic budget. Since the heating estimate

is only as good as the quality of atmospheric data from
which it is diagnosed, the quality of atmospheric
analysis is critical for the diagnosis. Fortunately, data
coverage and quality and analysis methods have all
improved in the last two decades, and are reflected in
the modern reanalysis data sets. Heating diagnosis
from one such data set, the US National Centers for
Environmental Prediction (NCEP) reanalysis, is
shown in Figure 11.

The mass-weighted vertical average of diabatic
heating,

1

ðps � 100Þ
Z ps

100

.
Qc�1

p dp

is shown during northern winter in units of K day�1;
here, ps is the surface pressure, cp is the specific heat of
air at constant pressure, and the integration is from the
surface to 100 hPa. Key features in Figure 10A include
the heating centers in the extratropical Pacific and
Atlantic basins, which effectively define the two
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Figure 11 (A) Mass-weighted vertical average of diabatic heating, calculated as a residual from the thermodynamic equation. The

winter season (DJFM)diagnosis is obtained fromNCEP reanalysis fields for 20winter seasons (1979/80–1998/99). The contour interval is

0.5Kday� 1, with dark (light) shading for positive (negative) values in excess of 0.5Kday� 1, and zero contours suppressed. (B,C) Zonal–

vertical (1000–100hPa) cross-section of diabatic heating at (B) 37.51 N and (C) 51 N, with contours and shading as in panel (A). The

latitudes of the cross-sections in (B) and (C) are marked with thick lines at the edges of panel (A). A 9-point smoother is applied to the

heating field before plotting.
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midlatitude stormtracks. The northern continents, in
contrast, constitute the cooling regions. In the tropics,
heating is strong over the South Pacific convergence
zone and the Amazon basin. A narrow zone of heating
is also present in the Pacific just northward of the
Equator; this intertropical convergence zone (ITCZ) is
much stronger during northern summer when it is
positioned a few degrees farther northward and fully
extended across the Pacific basin.

Diabatic heating has a complicated vertical struc-
ture which changes with latitude and season. The
changes with latitude are shown in Figures 10B andC,
which depict height–longitude cross-sections through
the midlatitude stormtracks (37.51 N) and the ITCZ
(51 N). The stormtrack heating is evidently strongest
near the surface, with peak values close to 6Kday� 1,
and diminishes rapidlywith height. Latent heating due
to precipitation in baroclinically unstable synoptic-
scale disturbances is the primary contributor to
stormtrack heating. Diabatic cooling, on the other
hand, is comparatively weaker, and focusedmore near
the tropopause in this estimation, for reasons that are
not clear.

The vertical structure of ITCZ heating is strikingly
different. Although the entire column is being heated,
heating is generally strongest in the mid-to-upper
troposphere. For example, over the tropical Pacific
warm pool – the site of persistent deep convection –
heating is strongest (B3Kday� 1) at 400 hPa. In
contrast, heating over land (e.g., equatorial Africa) is
strongest near the surface due to sensible heating. The
heating structure over Central America is also similar,
except that elevated surface heating there has pro-
duced some deep convection as well.

Interaction with Transients

The climatological stationary waves coexist with
vigorous atmospheric motions occurring on a variety
of time scales (Figure 9), and there are strong interac-
tions between these transient motions and the station-
ary waves. Transient motions are the instantaneous
departures of the flow from its climatological state,
and the time mean of transient motion thus vanishes,
by definition. However, fluxes of heat and vorticity by
transients do not vanish in general. For example, the
contribution of transients to the advection terms in
eqn [2] can be written as

V
0 0
h � =y0 0 þw0 0 qy0 0=qz

� = � ðV 0 0
hy

0 0Þ þ qðo0 0y0 0Þ=qp ½10�

where the double prime denotes the transient compo-
nent ando is the vertical velocity inp-coordinates. The

right-hand side of eqn [10] is the heat-flux divergence
from transient motions. In synoptic systems, north-
ward (southward) transient motions are typically
accompanied by positive (negative) temperature fluc-
tuations, so that heat flux diverges to the south of a
stormtrack and converges to the north. The heat-flux
divergence acts as heat sources and sinks for the time-
mean flow, and the stationary waves respond to this
thermal forcing just as they respond to diabatic
heating. Likewise, the convergence of transient vor-
ticity flux ð�= � ðV 0 0

h z
0 0Þ � qðo0 0z0 0Þ=qpÞ provides

sources and sinks of vorticity for the stationary waves.
The net effect of transient thermal and vorticity

fluxes on stationary waves is not easy to characterize.
However, it is clear that transient forcing is strong
enough in northern winter to exert a powerful
influence on stationary waves. The 700 hPa heat-flux
convergence by perturbations lasting less than 1
month is superimposed in Figure 12A on the local
winter eddy temperature pattern. The two fields
evidently oppose each other. For example, transient
heat fluxes diverge from the warmer regions over the
Atlantic and the west coast of North America and
converge in the colder regions above north-eastern
Canada. Thus, throughout most of the northern
midlatitudes, transient thermal fluxes have a damping
effect on the lower tropospheric stationary eddy
temperature pattern. Furthermore, the forcing by
transient thermal fluxes is on the order of 0.5Kday�1,
, while the eddy temperatures are about 4K. In the
absence of other processes, it would take little more
than a week for the thermal fluxes to reduce dramat-
ically the 700 hPa eddy temperature field. Such a
reduction also implies a substantial weakening of the
upper-level geopotential pattern, since temperature is
the vertical derivative of geopotential in hydrostatic
balance.

While transients are an important influence on
stationary waves, the stationary waves can be equally
influential for the transients. One way in which
stationary waves organize transients is by creating
localized regions of strong cyclogenesis. Synoptic
systems tend to develop in regions of strong lower
tropospheric temperature gradients, and such regions
are present off the coasts ofAsia andNorthAmerica in
Figure 12A. The ability of the local temperature
gradient to enhance the growth of synoptic systems
can be measured by the Eady growth parameter ðeÞ:

e ¼ 0:31
j=Tj

jTðT0 q ln y= g qzÞj1=2

Its plot in Figure 12B shows large values in the same
regions where stormtrack heating occurs in Figure
11A. Comparison of these panels suggests that
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stationary waves play an important role in determi-
ning the locations of stormtracks. In addition to this
effect on growth rate, stationarywaves can also have a
mechanical effect on stormtracks, by changing the

steering winds that determine storm paths and by
exchanging mechanical energy with the storms.

The Eady growth rate is applicable to synoptic
transients, which grow by extracting energy from the
thermal gradients (or vertical shear) of the climato-
logical state. Synoptic systems, in fact, account for less
than half of the transient forcing in the vorticity and
thermodynamic equations for the climatological sta-
tionary waves. Furthermore, the slower transients
(those with time scales between, say, 10 days and 1
month) are quite distinct from synoptic transients.
They do not generally travel along concentrated
stormtracks, nor do they typically grow by extracting
energy from the climatological temperature gradients.
Although these transients are certainly influenced by
the climatological stationary waves, the nature of this
influence is rather complex and cannot be easily
summarized.

Modeling of Northern Winter
Stationary Waves

Modeling of orographically forced stationary waves
dates back to the seminal paper of Charney and
Eliassen in 1949, in which linear shallowwater theory
was applied to the longitudinal distribution of oro-
graphy at 451N.The earlier discussion here, including
the development of eqn [5] and its solution [6], largely
follows the analysis reported in that paper. Charney
and Eliassen found the midlatitude mountains to be
rather influential, accounting for almost all of the
observed signal in their analysis.

Since that time, diabatic heating due to continent–
ocean contrasts, and transient fluxes of heat and
momentum have also been advocated as important
mechanisms for the generation of stationary waves. In
the intervening period, the atmosphere has been more
closely observed, both spatially and temporally, and
there has been a tremendous increase in computational
power for modeling studies. A reassessment of the
relative roles of various forcing mechanisms is thus in
order. In effect, more complete versions of the
dynamical and thermodynamical equations can now
be solved globally at high resolution, and verified
against the extensive record of upper-air observations
that have been compiled since.

It is still advantageous of linearize the system of
equations, at least initially, since this allows the
influence of individual forcing terms to be examined
separately. Of course, the forcing terms can have
strong mutual interactions. For example, heating can
cause eddy flow which then impinges on mountains,
and the subsequent orographically induced uplift can
generate convection and lead to further heating.

(A)

(B)

Figure 12 (A) The 700hPa eddy temperature (thick contours)

andheat-fluxconvergenceby transientmotions (shadingandwhite

contours) in northern winter months (DJFM). The contour interval

for temperature is 2K, and dashed lines represent negative values.

The contour interval for heat-flux convergence is 0.5Kday� 1, with

dark (light) shading for positive (negative) values in excess of

0.5Kday� 1. Zero contours for temperature and heat-flux conver-

gence are suppressed, and regions where the surface pressure is

less than 700hPa are masked out. (B) Eady growth parameter in

northern winter (DJFM), calculated from the 700hPa temperature

gradients. The contour interval is 0.1 day�1, with dark shading for

values in excess of 0.6 day� 1.
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However, linear diagnostic models serve a valuable
purpose in assessing the relative importance of the
different forcing terms in different regions. They also
indicate the degree towhich linear perturbation theory
applies to stationary waves.

A linear simulation of northern winter stationary
waves is presented in Figure 13. The linear model uses
s ¼ p=ps as the vertical coordinate (here ps is the
surface pressure) so that mountains do not intersect
the model levels. There are 15 levels in the vertical,
ranging from 1000 to 25 hPa, and the horizontal
resolution is 7.51 in the zonal direction and about 2.51
in the meridional direction. As in eqns [3] and [4], the
model is linearized about the zonal-mean climatolog-
ical state. The momentum and thermal dissipation in
the model is roughly equivalent to a 5-day damping
time scale in eqns [3] and [4]. The forcing consists of
three-dimensional diabatic heating (Figure 11), oro-
graphic height, and transient fluxes of heat and
momentum.

The 300 hPa response obtained with all forcings is
shown inFigure 13A, and plotted using the convention
used in Figure 2A, with which it should be compared.

The linear model can simulate the ridge over the
Atlantic, the low off the east Asian coast, and the
trough over Canada. A notable flaw in the simulation
is the weakness of the ridge over the Rockies. The
solution shows that linear perturbation theory can
explain many, though not all, aspects of the observed
stationary wave pattern.

The model response when forced separately by
diabatic heating, mountains, and transients is shown
in panels (B)–(D), respectively; note that contour
interval in these three panels is half that in panel (A).
All three forcings contribute significantly to the total
pattern. The heating response includes jets in the
Asian–Pacific and Atlantic sectors. Heating is evident-
ly important in establishing the ridge over the Atlantic
and northern Europe, and contributes significantly to
the trough over Canada as well.

The response to mountains in panel (C) shows
troughs downstream of the Himalayan–Tibetan com-
plex and the Rockies, as suggested by the shallow
water solution [6] and also QG potential vorticity
considerations (cf. Figure 10A), in each case for long
wavelengths. Thus, orography contributes to the

(A) (B)

(C) (D)

Figure13 (A) The300-hPaheight responseof a linear stationarywavemodel forcedby heating,mountains, and transient fluxes of heat

andmomentum. The contour interval is 50m, with dark (light) shading for positive (negative) values in excess of 50m. (B–D)Response of

the model when forced separately by (B) heating, (C) mountains, and (D) transient fluxes. The contour interval in (B–D) is 25m.
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forcing of the jets as well. The high amplitudes directly
over Greenland and Tibet are a consequence of the
linearization of the hydrostatic equation in s-coordi-
nates. Examination of geopotential heights gives a
somewhat misleading impression that waves generat-
ed by mountains propagate primarily in the zonal
direction. Examination of the modeled streamfunc-
tion (a more suitable variable for describing the
rotational response in the tropics; not shown), how-
ever, reveals considerable equatorward propagationof
the forced waves.

The forcing by submonthly transients (panel D)
produces a somewhat intricate pattern with no clear
relationship to the synoptic stormtracks. Transients
are apparently responsible for a large part of the
response over eastern Atlantic and northern Europe.

Studies of stationary wave dynamics have tradi-
tionally focused on the question of the relative
importance of the various forcing terms in generating
the observed pattern. Yet recent simulations such as
the one in Figure 13 show clearly that the northern
winter stationary waves do not constitute a simple
linear response to a single form of forcing. Further-
more, linearized equations, such as eqns [3] and [4],
neglect the advection of eddy heat and vorticity by the
stationary waves themselves, and also the effect of
eddy winds impinging on the mountains. These terms
play an important role in generating some features of
the stationary wave pattern, such as the ridge over the
Rockies. Future examinations of stationary wave

dynamics will have to assess not only the relative
importance of various forcing terms but their mutual
interactions, and the nonlinear interactions of the
stationary waves themselves.
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Introduction

The troposphere and the stratosphere are separated by
a boundary called the tropopause, whose altitude
varies from about 16 km in the tropics to about 8 km

near the poles. The troposphere is characterized by
rapid vertical transport andmixing caused by weather
disturbances; the stratosphere is characterized by very
weak vertical transport and mixing. The tropopause
thus represents a boundary between the troposphere,
where chemical constituents tend to be well mixed,
and the stratosphere, where chemical constituents
tend to have strong vertical gradients. The two-way
exchange of material that occurs across the tropo-
pause is important for determining the climate and
chemical composition of the upper troposphere
and the lower stratosphere. This cross-tropopause
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transport is referred to as stratosphere–troposphere
exchange. The upward transport of tropospheric
constituents into the stratosphere occurs primarily in
the tropics, and initiates much of the chemistry that is
responsible for global ozone depletion. The down-
ward transport of stratospheric constituents into the
troposphere occurs mostly in the extratropics and not
only serves as the major sink for some of the
constituents involved in stratospheric ozone deple-
tion, but also provides a source of upper tropospheric
ozone.

This pattern of upward cross-tropopause transport
in the tropics and downward cross-tropopause trans-
port in the extratropics is part of a global mass
circulation in the stratosphere that occurs as an
indirect response to zonal (westward) forcing in the
stratosphere, which is caused by the breaking of large-
scale waves propagating from the troposphere. The
magnitude and variability of this stratospheric mass
circulation, and its consequences for atmospheric
chemistry, are primary considerations in the study of
stratosphere–troposphere exchange.

TheDynamics ofMeanMass Exchange

The Dynamical Definition of the Tropopause

The tropopause is traditionally defined by meteorol-
ogists as the lowest level at which the rate of decrease
of temperature with respect to height (normally about
6Kkm� 1 in the troposphere) decreases to 2Kkm� 1,
and the average from this level to any level within the
next 2 km does not exceed 2Kkm� 1. This definition,
however, does not always clearly mark the boundary

between stratospheric and tropospheric air. The
physical tropopause is better defined in terms of a
specified critical value for a long-lived tracer such as
ozone, which has distinctly different stratospheric and
tropospheric values. Because global observations of
ozone in the vicinity of the tropopause are very limited,
it has become common to use as an alternative marker
for the tropopause a dynamical field called the
potential vorticity. Potential vorticity is somewhat
analogous to spin angular momentum. For large-scale
atmospheric motions potential vorticity is approxi-
mately given by P ¼ r�1ðzþ f Þðqy=qzÞ where r is the
air density, z is the vertical component of relative
vorticity, f is the Coriolis parameter (twice the local
vertical component of the Earth’s angular velocity), y
is the potential temperature (a measure of entropy,
which increases rapidly with height in the strato-
sphere), and z is the height above sea level. Since qz=qy
may be regarded as a local measure of the depth of the
layer between two potential temperature surfaces, an
increase in qz=qy implies stretchingof vortex tubes and
an increase in the absolute vorticity,while a decrease in
qz=qy implies shrinking of vortex tubes and a decrease
in the absolute vorticity; this is somewhat like the spin
angular momentum of a ballerina or figure skater.

Outside the tropics, potential vorticity is positively
correlated with ozone in the extratropical lower
stratosphere, and is a particularly suitable tracer for
defining the tropopause. Potential vorticity increases
dramatically from troposphere to stratosphere, and it
can be readily calculated from conventional wind and
temperature data. As shown in Figure 1, the tropo-
pause defined in terms of a critical value of potential
vorticity does not coincide with an isentropic surface,

30

100

300

500

1000
90 60 30

South Pole
0 30 60 90

North PoleEquator

20

15

10

5

A
lti

tu
de

 (
km

)

Latitude

P
re

ss
ur

e 
(h

P
a)

Figure 1 Latitude–altitude cross-section for January 1993 showing longitudinally averaged potential temperature (solid contours) and

temperature (dashed contours). The heavy solid contour (cut off at the 380K potential temperature surface) denotes a constant potential

vorticity contour,whichapproximates the tropopauseoutside the tropics.Shadedareasdenote the ‘lowermost stratosphere’ regionwhose

potential temperature surfaces span the tropopause. (Reproducedwith permission fromHolton JR,HaynesPH,McIntyreME et al. (1995)

Stratosphere–Troposphere exchange. Reviews of Geophysics 33: 403–439.)

2138 STRATOSPHERE–TROPOSPHERE EXCHANGE / Global Aspects



but rather cuts across the isentropes as it slopes
downward toward the poles in midlatitudes. The
region of the stratosphere where the isentropes inter-
sect the tropopause is called the ‘lowermost strato-
sphere’, and must be clearly distinguished from the
region above where the isentropes lie entirely in the
stratosphere. This latter region is often referred to as
the ‘overworld’.

The Diabatic Circulation

Potential temperature is a function of specific entropy
alone and is thus conserved by fluid parcels when the
motion is adiabatic. Since diabatic processes operate
on the time scale ofweeks in the lower stratosphere, on
shorter time scales parcels move approximately along
constant potential temperature surfaces. Transfer of
mass and chemical constituents from the troposphere
into the stratospheric overworld, however, clearly
requires motion across isentropic surfaces. This trans-
port is accomplished by a mean meridional cross-
isentropic mass circulation. Such a circulation was
first deduced byBrewer andDobson,who showed that
observations of the stratospheric distributions of
water vapor and ozone were consistent with the
notion that upward transport in the stratosphere is
limited to the tropics, while downward transport
occurs in the extratropics. Thus, the stratosphere is
dehydrated by the freeze drying of air passing upward
through the extremely cold tropical tropopause, and
ozone accumulates at high latitudes in the lower
stratosphere through poleward and downward trans-
port from its source region in the upper tropical
stratosphere.

This transport circulation is now commonly re-
ferred to as the Brewer–Dobson circulation. It is often
called the ‘diabatic circulation’, since it is associated
with the diabatic processes of radiative heating and
upward motion across isentropes in the tropics, and
with radiative cooling and downward motion across
the isentropes in the extratropics. For long-lived trace
constituents, such as methane and nitrous oxide, this
pattern of meridional overturning, moving up in the
tropics and down in the extratropics, tends to produce
surfaces of constant mixing ratio that are elevated in
the tropics and slope downward toward the poles,
while mixing along the isentropes by planetary waves
tends to flatten the slopes of surfaces of constant tracer
mixing ratio.

Although it is associated with diabatic heating and
cooling, the Brewer–Dobson circulation is not forced
by radiative heating, nor is it forced directly from
below by penetration of convection into the strato-
sphere. Rather, it is a nonlocal response to an extra-
tropical wave-driven pumping action. This pumping is

caused by the wave-induced westward force in the
extratropical stratosphere. Because the Earth is rotat-
ing rapidly, pushing air westward produces a gyro-
scopic effect in which the air drifts poleward. By mass
continuity a poleward drift in midlatitudes is com-
pensated by upward motion accompanied by expan-
sion and adiabatic cooling in the tropics and
downward motion accompanied by compression and
adiabatic warming in the extratropics (Figure 2). This
distribution of adiabatic cooling and heating main-
tains the temperature below radiative equilibrium in
the tropical upwelling region, and above radiative
equilibrium in the extratropics. Thus, the distribution
of radiative heating and cooling in the stratosphere
does not drive themeanmeridionalmass flow, rather it
is a response to the dynamically driven mass flow.

Rossby Waves

Wave driving in the extratropical stratosphere is
caused primarily by Rossby wave breaking. Rossby
waves owe their existence to the latitudinal gradient of
potential vorticity along isentropic surfaces. Because
of this gradient, a fluid parcel displaced poleward or
equatorward (and materially conserving its potential
vorticity) will have potential vorticity different from
that in the local environment and will induce a
perturbation velocity disturbance. This will cause
parcel displacements of the same sign to thewest of the
original displaced parcel, and of the opposite sign to
the east. The result is a wave pattern in the potential
vorticity field that propagates westward relative to the
mean flow. When such a wave breaks in the strato-
sphere it produces a westward directed zonal force, or
wave drag (see Rossby Waves).

Global Exchange: The Lowermost
Stratosphere and the Overworld

Global mass exchange into and out of the chemically
important region of the stratosphere is to a large
degree controlled by the extratropical wave-driven
pump discussed above. Air in the overworld, where
isentropic surfaces lie entirely in the stratosphere,
cannot reach the troposphere without first slowly
descending across isentropic surfaces, a process
that must be accompanied by diabatic cooling. The
isentropic surface bounding the overworld and the
lowermost stratosphere generally has a potential
temperature around 380K, depending on cloud top
heights (see Figure 2).

The distinction between the overworld and the
lowermost stratosphere implies that it is not always
essential to measure stratosphere–troposphere
exchange by the transport across the tropopause.
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For many purposes transport into and out of the
stratospheric overworld may be more relevant, and
more effectively evaluated. For example, consider the
case of a chemical species such as methane (CH4) that
has a tropospheric source and a stratospheric sink,
with the sink being about 18 km or so, in the
overworld. The transport across the 380K potential
temperature surface, which can largely be understood
as part of the global-scale circulation of the overworld,
is then an acceptable measure of exchange; indeed it is
often more relevant because of the higher location of
the photochemical sink. The same applies to a species
that has a stratospheric source and a largely tropo-
spheric sink. In this context, details of the transport
across the tropopause are largely irrelevant.

For the understanding of mass and tracer transport
into and out of the overworld the replacement of the
tropopause by amore convenient isobaric or isentrop-
ic control surface located in the lower stratosphere is
useful.However, for somepurposes themass transport
across the actual tropopause is required. The net
downward mass fluxes across the extratropical tropo-
pause and across an isobaric or isentropic control
surface that nearly coincides with the tropopause in

the tropics should be equal for a sufficiently long time
average. Such equality will not hold on seasonal or
shorter time scales since the amount of mass in the
layer between the extratropical tropopause and an
isobaric or isentropic surface coinciding with the
tropical tropopause may vary with time.

To focus on the important aspects of global scale
exchange, it is useful to distinguish between the
transport along isentropic surfaces, which can occur
in rapid adiabatic motions (wavy arrows in Figure 2),
and transport across isentropic surfaces, which re-
quires diabatic processes. Since the tropopause inter-
sects the isentropes, transport can occur in either way,
and is likely to occur in both ways. In the region of the
atmosphere called the lowermost stratosphere, where
isentropic surface intersect the tropopause, air and
chemical constituents can be irreversibly transported
across the tropopause as adiabatic eddy motions lead
to large latitudinal displacements of the tropopause,
followed by irreversible mixing on small scales. The
dark shading in Figure 2 shows the region within the
lower stratosphere most directly affected by these
eddy transport effects. The lowermost stratosphere
must be distinguished from the rest of the stratosphere,
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being the only part of the stratosphere accessible
from the troposphere via transport along isentropic
surfaces.

Transport in the overworld must be clearly distin-
guished from transport in the lowermost stratosphere.
Transport in the lowermost stratosphere requires
consideration of the details of synoptic-scale and
small-scale processes. Horizontal mixing can be espe-
cially significant in the lowermost stratosphere, espe-
cially during ‘blocking’ events, when meridional
motions are enhanced. Thus exchange between the
troposphere and the lowermost stratosphere can be
significantly faster than exchange between the over-
world and the lowermost stratosphere.

The Annual Cycle in Global
Stratosphere–Troposphere Exchange

Diagnostics of the wave-driven zonal force in the
extratropical stratosphere from analysis of conven-
tional global meteorological data can be used to
produce estimates of the vertical mass flux across a
convenient control surface, such as the 100 hPa
isobaric surface (B380K potential temperature sur-
face in the tropics), which can be regarded as approx-
imating the lower boundary of the overworld. This
techniqueworks best for the solstice seasons,when the
time change of zonal momentum is small compared to
the wave-induced force. Results for the downward
mass fluxes across the 100 hPa surface for the North-
ern and Southern Hemispheres (and by continuity the
upward flux in the tropics) are shown in Table 1. The
deduced upwardmass flux in the tropics is sufficient to
completely replace themass above the 100 hPa surface
in about 2–2.5 years. The observations suggest that the
mass transport across the tropical tropopause is twice
as large inNorthernHemispherewinter as in Southern
Hemisphere winter.

This deduced annual cycle in mass transport across
the 100 hPa surface is consistent with the observed

annual temperature cycle near the tropical tropo-
pause, which is characterized by temperatures that are
several degrees colder in January than in July through-
out the tropics, and several degrees warmer in January
than in July in the extratropics, as would be expected
from the influence of the annual cycle in adiabatic
cooling associated with the vertical motions. The
annual cycle in mass transport is also consistent with
the observed cycle in tropical total ozone, which is a
minimum in February and a maximum in August, as
would be expected from the enhanced vertical advec-
tion of ozone-poor tropospheric air into the tropical
lower stratosphere during the Northern Hemisphere
winter.

Isentropic Exchange in the
Extratropics

As mentioned above, in midlatitudes the tropopause
cuts across isentropic surfaces so that two-way strat-
osphere–troposphere exchange can occur through
isentropic transport and mixing processes. Neverthe-
less, the boundary between stratospheric and tropo-
spheric air remains very distinct in this region. This
suggests that there must be a rather strong dynamical
resistance to exchange along the isentropes. This
resistance is supplied by the mechanism of Rossby
wave propagation. Because of the strong isentropic
gradient of potential vorticity that marks the tropo-
pause in the lowermost stratosphere, there is a very
strong Rossby wave restoring force in that region,
which limits the extent of parcel displacements across
the potential vorticity gradient. Hence, wave breaking
only occurs for large-amplitude disturbances. Because
there is a large store of available potential energy
associated with the strong meridional temperature
gradient in this region, large-amplitude weather dis-
turbances quite frequently develop in this region,
especially in wintertime. The vertical circulations
associated with such disturbances create deep intru-
sions of stratospheric air into the troposphere, which
may then become mixed with tropospheric air to
produce irreversible transport into the troposphere.
Much of the ozone transport from the lowermost
stratosphere into the troposphere occurs in connection
with such ‘tropopause fold’ events.

The quasi-isentropic exchange initiated by tropo-
pause folding could in theory occur in the absence of
the diabatic circulation. But in that case there would
necessarily be an equal quasi-isentropic reverse
transport of air from the troposphere into the
stratosphere in order to maintain mass balance.
The extremely low water vapor mixing ratios
observed throughout the stratosphere indicate,

Table 1 Solstice season mass flux across the 100hPa surface

Location Mass fluxa (108Kg s�1)

DJF JJA Annual mean

NH extratropics � 81 � 26 � 53

Tropics 114 56 85

SH extratropics � 33 � 30 � 32

aNegative sign indicates downward flux. DJF, December, January,

February; JJA, June, July, August; NH, Northern Hemisphere; SH,

Southern Hemisphere.

Data from Rosenlof KH and Holton JR (1993) Journal of Geo-

physical Research 98: 10465–10479.
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however, that the quasi-isentropic exchange in mid-
latitudes is mostly a one-way transport into the
troposphere. Furthermore, the large-scale diabatic
circulation is required to transport stratospheric
constituents such as ozone downward from the
overworld to the lowermost stratosphere. The average
rate atwhich such a species can be transported into the
troposphere is thus ultimately determined by the rate
at which the dynamically controlled large-scale circu-
lation transports mass into the lowermost strato-
sphere. For this reason the details of mesoscale
tropopause fold events may not be important for
determining the global flux of ozone from the
stratosphere, although they will certainly strongly
influence the time and space distribution of such
transport.

Tracer Exchange in the Lowermost
Stratosphere

Exchange of trace constituents cannot be treated in the
simple manner used above for the net mass flux
because net tracer exchange can occur in the absence
of mass exchange. For example, if one unit of air
containing a high ozone mixing ratio flows into the
troposphere and an equal unit with low ozone mixing
ratio flows into the stratosphere, there will be a net
downward ozoneflux, but zero netmass flux. This sort
of process could lead to tracer exchange at the lower
edge of the lowermost stratosphere, where the tropo-
pause cuts across isentropic surfaces.

Such exchange does not, however, occur on a
continuous basis. As noted above, the boundary
between stratospheric and tropospheric air along
isentropes that span the tropopause is normally
marked by strong isentropic potential vorticity gradi-
ents. The existence of this band of strong potential
vorticity gradients, and indeed similarly strong gradi-
ents inmixing ratios of species such as ozone andwater
vapor, itself suggests that there must be rather strong
dynamical resistance to cross-tropopause transport
along the isentropes, since otherwise vigorous mixing
of stratospheric and tropospheric air would destroy
the band of strong gradients.

Nevertheless, stratosphere–troposphere exchange
of tracers can occur by isentropic transport in the
extratropical region. Development of strong upper-
level weather disturbances can lead to displacement of
the tropopause from its equilibriumposition, followed
by nonconservative processes such as diabatic heating
or cooling or small-scale turbulent mixing. It is only in
the presence of such vigorous eddy motions near the
tropopause that the dynamical resistance to cross-
tropopause exchange can be overcome, and deep

intrusions of stratospheric air can penetrate into the
troposphere. These intrusionsmay also to some extent
be regarded as the result of the systematic effect of the
large-scale ageostrophic circulations associated with
the development of frontal structures near the tropo-
pause. The stretching deformation that occurs
during frontal development stretches stratospheric
intrusions to ever finer scales and leads to irreversible
transport, often speeded up by turbulence resulting
from shear instabilities. Much of the ozone
transport from the lowermost stratosphere into the
troposphere is believed to occur in connection with
such tropopause fold events. Many studies have
confirmed that large episodic stratosphere–
troposphere exchange can occur in association with
tropopause folding.

The Role of Tropical Convection in
Stratosphere–Troposphere Exchange

Although convection does not control the rate at
which the diabatic circulation moves mass into or out
of the overworld, penetrative convection may influ-
ence a layer a few kilometers in depth in the region of
the tropical tropopause. This tropopause layer plays
an essential role in establishing the stratospheric water
vapor budget. Aircraft and satellite observations
of the water vapor distribution in the tropical
lower stratosphere reveal the existence of a water
vapor mixing ratio minimum (referred to as the
‘hygropause’). The hygropause often occurs well
above the tropopause. This feature is now believed
to result from dehydration to the saturation mixing
ratio at the tropopause (the freeze drying process),
followed by vertical advection of the resulting mini-
mum in water vapor mixing ratio into the overworld
by the diabatic circulation. Since, as pointed out
above, the tropical tropopause temperature is colder in
Northern winter than in Northern summer, the driest
air enters the stratosphere in Northern winter (when
the hygropause is observed to be just above the
tropopause), and is advected upward to produce the
observed elevated hygropause near 19 km inNorthern
summer.

See also

Dynamic Meteorology: Overview; Primitive Equations;
Waves. El Niño and the Southern Oscillation:
Observation. Instability: Symmetric Stability. Middle
Atmosphere: Transport Circulation. Rossby Waves.
Stratosphere–Troposphere Exchange: Local
Processes.
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The tropopause separates the stratosphere from the
troposphere. It is located at the interface between two
air masses with distinctly different characteristics in
water vapor, ozone, potential vorticity, and other
chemical or physical quantities. Stratospheric–tropo-
spheric exchange (STE) refers to the processes where-
by mass and chemical species are transported between
these two atmospheric regions across the tropopause.
This exchange is important to the chemistry of both
regions as it regulates the transport of species with
tropospheric sources into the stratosphere (e.g.,
chlorofluorocarbons (CFCs), water vapor, and hydro-
carbons) and species with stratospheric sources into
the troposphere (e.g., ozone and nitric acid). In this
article we identify and describe the small-scale proc-
esses occurring in the vicinity of the tropopause that
govern this exchange. We distinguish between these
processes and the large-scale regulation of the ex-
change by the zonalmean-meridional Brewer–Dobson
circulation (Figure 1).

The Brewer–Dobson circulation, a circulation
largely forced by wave breaking remote from the
tropopause, acts to drive air parcels up through
isentropic surfaces in the tropics (corresponding to a
mean heating of the air parcels) and down through the
isentropic surfaces in the extratropics (corresponding
to amean cooling of the parcels). The dynamics of this
circulation determines the net STE on an annual time
scale. The upward branch of this circulation forces a
net exchange from the troposphere to the stratosphere
in the tropics and from the stratosphere to the
troposphere in the extratropics. Small-scale processes
influence precisely where and when STE of mass and
chemical species occur. Modeling studies suggest the
timing of the exchange, in particular, is important to
tropospheric chemistry. Small-scale processes also
influence the composition of the stratosphere in the
vicinity of the tropopause. In particular, the compo-

sition of the lowermost extratropical stratosphere (the
part of the stratosphere that shares isentropic surfaces
with the troposphere) is strongly affected by small-
scale processes.

The operational definition of the tropopause by the
World Meteorological Organization is given in terms
of the temperature lapse rate. However, in the extra-
tropics a dynamically based definition of the
tropopause is in terms of a potential vorticity
(usually taken at a potential vorticity equal to
2 � 10�6m2 s� 1K kg� 1). This definition cannot be
extended to the tropics, where it is convenient to
simply define the tropopause as the 380K potential
temperature surface. Regardless of the definition, the
interface between stratospheric and tropospheric air
masses forms a wavy surface with substantial geo-
graphic variations in height, latitude, and longitude.
Significant displacements of the tropopause can occur
without STE. The tropopause is a dynamic surface so
that transport across it cannot be considered in the
same manner as transport across a surface unaffected
by transport (e.g., a constant altitude surface). For
example, while the mean height of the Northern
Hemisphere tropopause lowers duringwinter, the STE
peaks in the spring months.

The advantage of using potential vorticity or
potential temperature to mark the tropopause is that
these quantities act as tracers of air mass motion,
making them ideal to mark the interface between
stratospheric and tropospheric air masses. Potential
vorticity and potential temperature are conserved
along trajectories except for the processes of diabatic
heating (the vertical gradient of diabatic heating in the
case of potential vorticity) and mixing. The extent to
which these quantities are not conserved can be taken
as ameasure of the STE. Therefore, STE can be defined
as the amount of mass or constituents transported
across potential temperature surfaces in the tropics
and potential vorticity surfaces in the extratropics.
Diabatic heating and its vertical gradient are generally
small in the upper troposphere and lower stratosphere.
Mixing is also expected to be slow due to the high
static stability of the stratosphere (which resists
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vertical displacements) and the high potential vorticity
gradients (which resist horizontal displacements) of
the lower extratropical stratosphere. However, as
discussed later, under specific circumstances, these
nonconservative processes are large enough to allow
for significant STE.

Because of the different processes involved, the
description of STE by small-scale processes is split
between the tropics and extratropics. In each section
we show how small-scale mixing and diabatic heating
at the tropopause result in exchange between the
troposphere and the stratosphere.

Although intensive research has taken place in the
last 40 years, there are still a large number of
uncertainties and unknowns in the small-scale proc-
esses involved in STE. In particular, the precise

mechanisms for the exchange across the tropical
tropopause are still not completely understood.

Tropical Regions

The tropical tropopause (located at approximately
380K) is located in the upwards branch of the Brewer–
Dobson circulation (Figure 1) at a pressure of approx-
imately 100 hPa and a temperature of approximately
�70 to �801C. Constituents lofted across the isen-
tropic surface 400K (approximately 90 hPa) subse-
quent to crossing the tropical tropopause are likely to
be transported into the middle and upper stratosphere
by the large-scale Brewer–Dobson circulation. There
they can affect the composition of the stratosphere for
years. Between the tropical tropopause and 400K
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theoretical calculations and measurements of both
water vapor and atomic bomb debris (from the 1950s
and 1960s explosions) indicate considerable poleward
transport of trace constituents. This suggests that a
fraction of the constituents which cross the tropical
tropopause are not transportedmuch above 400K, but
are rapidly transported into the lowermost extratrop-
ical stratosphere, through mostly isentropic transport.

STE in the tropics is governed by a complex and
poorly understood interplay between convection and
the large-scale Brewer–Dobson circulation. Parcels
that cross the tropopause are initially transported
upwards in deep convective clouds. However, above
some height, the Brewer–Dobson circulation will
govern the subsequent uplift of the parcel. The
transition height between convection and the large-
scale circulation is not firmly fixed.At least the tropical
tropopause is often not clearly demarcated. Instead it
may be more accurate to regard the tropical tropo-
pause as a rather deep transition region between the
troposphere and the stratosphere.

It is still an open question whether the transition
between convection and the large-scale circulation
typically occurs above or below the defined tropical
tropopause. Convective turrets do penetrate the tropo-
pause onoccasion, asobserved in the Indonesian region,
for example. However, there is some doubt as to
whether these very deep convective events occur
frequently enough to supply the requisite upward mass
flux. In this case the upward motion across the tropical
tropopause could be of large scale, in which case
frequent high cloudiness near the tropopause would be
expected. Subvisible cirrus clouds are observed over the
warm pool of the western Pacific over 90% of the time
during Northern Hemisphere winter, but the cause of
this cloudiness is yet undetermined. On the other hand,
if convection supplies more than the requisite mass flux
above the tropopause, only the highest and coldest
convective events may end up impacting the strato-
sphere. In this case, outside the convective updrafts the
equatorial tropopause is in a subsident region.

The dryness of the air entering the equatorial
stratosphere (approximately 3 ppm by volume during
the Northern Hemisphere winter and 4.2 ppm by
volume during Northern Hemisphere summer) tightly
constrains the possible pathways through which
tropical air can enter the stratosphere. As this is
much drier than tropospheric air on average and
typically drier than the saturation water vapor mixing
ratio at the tropical tropopause, any theory of tropical
STE must account for the dehydration of air parcels
entering the stratosphere.

A possible mechanism for such low water vapor
mixing ratio is that air that enters the stratosphere has
been processed through a cloud. Indeed, as a parcel

travels upward and cools, water in excess of the
saturation vapor pressure condenses out. Efficient
dehydration requires that the parcel remain at cold
enough temperatures for ice crystals to grow to
sufficient size for rapid sedimentation. Otherwise, as
the parcel continues to rise into the stratosphere, the
ice crystals may reevaporate. Air with low strato-
spheric mixing ratios of water vapor has sometimes
been measured in association with deep convective
clouds. However, processes other than convection
may also play a role in dehydrating air. For example,
gravity waves propagating near the tropopause may
provide sufficient uplift to allow for additional con-
densation and loss of water vapor. Cloud processing
will also affect the STE of chemical species through the
attendant loss of soluble species.

Zonally averaged tropical tropopause temperatures
are not consistent with the extreme dryness of the
stratosphere. This suggests the hypothesis that there
are preferred regions in which air enters the strato-
sphere; air passes locally upwards through the tropical
tropopause only where the saturation vapor pressure
is low enough (from the very cold temperatures) to
allow for the sufficient dehydration of air parcels as
described above. One such region occurs in the
western Pacific (mostly in the vicinity of Indonesia)
during Northern Hemisphere winter, in accord with
the idea of a localized stratospheric ‘fountain’ through
which air enters the stratosphere. However, during the
Northern Hemisphere summer the temperature dis-
tribution from the large-scale meteorological analyses
indicates no region with temperatures persistently
cold enough to explain the water vapor record. At this
time of year the cold temperatures and dehydration
events must occur only sporadically in association
with spatially and temporally restricted events not
captured in the large-scale meteorological analyses.
Another hypothesis, introduced recently and still
being developed, is based on the existence of a deep
tropopause transition layer. The dehydration of air
occurs in convective systems but the transport of the
dehydrated air into the stratosphere occurs in a slow
ascent due to the overall net radiative heating in this
part of the atmosphere. In this view, the dehydration
and transport into the stratosphere occur at different
times and locations. This view of tropical STE is more
dynamic than the stratospheric ‘fountain’ and involves
vertical and horizontal processes at very different
scales. None of the hypotheses described above have
yet been able to fully and consistently explain the
observed distribution of water vapor in the tropical
stratosphere.

Longitudinal variations in tropopause height and
temperature, and therefore the preferred locations of
equatorial STE, can be ascribed to an array of poorly
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understood local processes. The coldest tropopause
heights are associated with the western Pacific warm
pool and the Northern Hemisphere monsoon. This is
consistent with convection playing an active role in
shaping the morphology of the tropopause. However,
the relationship between convection and the tropo-
pause height is not straightforward. Inparticular, there
is indication that minimum temperatures at the
tropopause in January are centered on the Equator,
while convection maximized slightly south. The
radiative effects of convective clouds and the wave
motions forced by their diabatic heating obscure any
straightforward relationship between convection, the
height and temperature of the tropopause, and the
location of STE.

Extratropics

Moving poleward from the Equator, the tropopause is
conveniently defined in terms of a potential vorticity
surface. STE occurs between the lowermost strato-
sphere and the troposphere through transport across
this surface. While the transport can occur in either
direction, it is predominantly from the stratosphere to
the troposphere. The effect of transport in the opposite
sense is short-lived due to the downwards large-scale
meanmeridional circulation,which acts toflush out the
lowermost stratospherewithina relatively shortperiod.
In distinction to the tropical tropopause, the extratrop-
ical tropopause is usually clearly demarcated by strong
gradients in potential vorticity and trace constituents.

The Subtropics

Stratosphere–troposphere exchange in this region
occurs between the upper and mid-equatorial tropo-
sphere and the lowermost stratosphere. The subtropi-
cal tropopause drops rapidly near 301 from tropical
heights to the level of the extratropical tropopause
(approximately from 100 hPa to 300 hPa) (Figure 1).
Trajectories from analyzed winds suggest very little
STE occurs across this portion of the tropopause
during the winter months but that considerable STE
occurs during the summer months.

The subtropical tropopause cuts through the sub-
tropical jet stream. This jet undergoes a substantial
annual cycle in amplitude with the strongest winds
occurring during the winter season. When the jet is
strong, mixing across it between the troposphere and
the stratosphere is inhibited; inhibited both through
the large potential vorticity gradients associated with
the jet, and the fact that breaking of tropospheric
waves and the resultingmixing is unlikely to penetrate
the jet core. Indeed, in the case of a strong jet the wind
speeds are substantially larger than those associated

with most tropospheric waves, implying that the
critical layers (where the phase speed of the wave is
equal to that of the large-scale flow field and therefore
where the wave is unstable and breaks) will occur
away from the jet core. During the summermonths the
subtropical jet weakens considerably, allowingmixing
across the jet to be enhanced. Not only do the critical
layers occur closer to the jet core during the summer
months, but the smaller gradients of potential vorticity
associated with the summer jet make for wider critical
layers and weaker barriers to mixing.

The transport across the summertime subtropical jet
is primarily associatedwith the Asianmonsoon (Figure
2), and to a lesser extent the Mexican monsoon. While
the monsoons of South America, Africa, and Australia
probably play a similar role during the austral summer,
their comparatively weak circulations are much less
effective in transporting air across the tropopause. As
indicated by the arrows in Figure 2, monsoon circula-
tions are able to tap a particularly rich source of water
vapor in the midlatitudes. The resulting STE is believed
to be of primary importance to the seasonal cycle of
water vapor in the extratropical lowermost strato-
sphere and does not involve the pronounced dehydra-
tion that occurs in the tropics.

The tropopause is elevated over monsoon regions
with the associated anticyclonic circulation penetrating
into the lowermost stratosphere. A steady state mon-
soon circulation will not in itself result in STE.
However, due to the proximity of the monsoon
circulation to the jet core, perturbations in the circula-
tion are likely to be important, resulting in isentropic
mixing between the troposphere and the stratosphere
(Figure 2) and associated STE. Moreover, the interac-
tion between monsoon and midlatitude synoptic dis-
turbances or large-scale low-frequency transients will
act to transport species across the tropopause. It has
been demonstrated in the case of the Asian monsoon
that the interaction can act to pull filaments (see the
following section on extratropical STE) of moist
tropospheric air into the stratosphere, and filaments
of dry stratospheric air into the troposphere.

The Extratropics

In the extratropics a number of local processes result in
STE. These include: stratospheric intrusions in the
troposphere and their subsequent fragmentation;
tropopause folds; cutoff lows; gravity waves; deep
convection; radiative processes in the vicinity of the
tropopause; and local dynamical instabilities. All the
processes listed above are examined in more detail
below.

The process of fragmentation (i.e., breaking into
smaller and smaller structures such as filaments) of

2146 STRATOSPHERE–TROPOSPHERE EXCHANGE / Local Processes



stratospheric intrusions is strongly related to isentrop-
ic mixing. Parcel advection calculations suggest that
this mixing occurs vigorously throughout the year on
isentropic surfaces below 330K and is therefore
responsible for most of the STE. The fragmentation
of stratospheric intrusions occurs as the large-scale
velocity field causes tongues of stratospheric air to
undergo large latitudinal excursions (Figure 3). Sub-
sequently, these tongues can stretch and thin until they
become mere filaments of stratospheric air embedded
in the troposphere. This process can be viewed as the
fragmentation of the tropopause itself. Once the
filaments reach small enough scales they are rapidly
and irreversibly mixed into the troposphere. This final
mixing may occur due to dynamical instabilities
growing at the interface of the filaments (e.g., Kel-
vin–Helmholtz shearing instabilities) (Figure 4) or
through radiative decay. The associated potential
vorticity anomalies become increasingly susceptible
to radiative decay as they are stretched to small scales.
Satellite measurements of ozone and water vapor
suggest that fragmentation occurs continually in the
vicinity of the tropopause.

The fragmentation of intrusions across the tropo-
pause is similar to the fragmentation of the polar
stratospheric vortex, creating the so-called strato-
spheric ‘surf’ zone. In both processes the associated
irreversible mixing can be traced to the large merid-
ional parcel displacements that occur in the vicinity of

a Rossby wave’s critical layer. As only large-scale
waves can propagate into the stratosphere (due to the
vertical structure of the zonal wind), the waves which
break near the tropopause are of much smaller scale
(generally wave number 4–7) than those that break
higher up. Consequently the mixing regions are of
smaller scale. The waves that break at the tropopause
canoften be linked tobaroclinic instability.Depending
on the horizontal shear of the flow, the mixing can
occur on the equatorward side of the jet stream, in
which case stratospheric air extrudes anticyclonically
into the troposphere. In cases of enhanced horizontal
shear,mixing can occur on the poleward side of the jet,
in which case tropospheric air is entrained into the
stratosphere.

Owing to the large potential vorticity jump across
the tropopause, strong ageostrophic circulations are
often created in association with baroclinic wave-
breaking events. The ageostrophic circulations en-
hance the deformation fields due to the large-scale
winds and drive stratospheric air deep into the
troposphere along isentropic surfaces. During these
tropopause folding events, sheets of stratospheric air
with a small vertical to horizontal aspect ratio become
embedded deep within the troposphere. The ageo-
strophic circulation associated with tropopause fold-
ing is transverse to the jet, with the strongest
downward motion generally occurring in the norther-
ly flow to thewest of the upper level trough, near the jet
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entrance region (point A Figure 5). The exchange is
associated with both mixing and diabatic processes.
The mixing occurs mostly in areas of strong upward
and downward motion, as shown by several

high-resolution modeling studies. Diabatic effects
(latent heat release in clouds and radiative heating/
cooling in the vicinity of clouds) seem to occur mostly
in the center of the curvature of the jet stream.

Figure 3 (A) Isentropic contours of potential vorticity on the 320K surface for 14 May 1992, at 1200UT, calculated from European

Centre for Medium-RangeWeather Forecasts (ECMWF) operational analyses. The instantaneous tropopause appears as the first solid

contour (2PVU); contours for 1, 1.5, 3, and 4PVU are also shown. (B) Meteosat water vapor image for the same time as (A). The black

structures in the upper-left and right are indicative of dry stratospheric air.
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Significant STE occurs during this process. In fact,
tropopause folding is considered the most evident
form of STE.

Under some circumstances tropospheric or strato-
spheric filaments wind up so as to consist of interwo-
ven regions of stratospheric and tropospheric air. This
can create medium-scale potential vorticity anoma-
lies; positive when stratospheric filaments wind up in

the troposphere, and negative when tropospheric
filamentswindup in the stratosphere. These anomalies
will typically be associated with closed circulations –
circulations that are temporarily resilient to deforma-
tion by the large-scale flow field. The corresponding
cutoff cyclones (when a high potential vorticity region
becomes trapped in the troposphere) and cutoff
anticyclones (when a low potential vorticity region
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becomes trapped in the troposphere), are often rather
long-lived, subject only to slow decay through mixing
and turbulent processes, radiative processes, and
convective mixing (in the cutoff cyclones). All the
above processes will result in STE.

Other processes may also contribute to extratrop-
ical STE. Because potential vorticity is not conserved
in the presence of a heating rate gradient, radiative
heating in the vicinity of the tropopause is likely to be
important, for example, the local heating induced by
the high cirrus cloud shield associated with synoptic
storms. Lidar (light detection and ranging) ozone
measurements and high-resolution modeling suggest
that gravity waves excited at the surface by strong
winds over steep terrain may at times be responsible
for mixing at the tropopause level. Strong thunder-
storms in the extratropics occasionally penetrate the
tropopause, presumably resulting in STE, although
the effect of these storms has not been adequately
documented. Both extratropical convection and
topographic gravity waves will only result in STE
under specific conditions: topographically forced
gravity waves only occur under specific wind
conditions and intense convection is most likely to
during the summer months and over land. While it is
difficult to extrapolate from local events to their global
effects, the global importance of these processes is
likely to be small, although their local effects may be
significant.

See also

Baroclinic Instability. Critical Layers. Monsoon:
Overview. Ozone: Ozone Depletion. Tropopause.

Further Reading

Danielsen EF (1968) Stratospheric–tropospheric exchange
based upon radioactivity, ozone, and potential vorticity.
Journal of the Atmospheric Sciences 35: 502–518.

Dunkerton TJ (1995) Evidence of meridional motion in the
summer lower stratosphere adjacent tomonsoon regions.
Journal of Geophysical Research 100: 16675–16688.

Holton JR, Haynes PH, McIntyre ME, et al. (1995)
Stratosphere–troposphere exchange. Review of Geo-
physics 33: 403–439.

Hoskins BJ,McIntyreME andRobertsonAW (1985)On the
use and significance of isentropic potential vorticity
maps. Quarterly Journal of the Royal Meteorological
Society 111: 877–946.

Pierrehumbert RTandYangH (1993)Global chaoticmixing
on isentropic surfaces. Journal of the Atmospheric
Sciences 50: 2464.

RandelWJ,WuF,Russell JM III, Zawodny JMandOltmans
SJ (2001) The seasonal variation of water vapor in the
lower stratosphere observed in HALOE data. Journal of
Geophysical Research 106: 14313–14325.

Shapiro MA (1980) Turbulent mixing within tropopause
folds as a mechanism for the exchange of chemical
constituents between the stratosphere and the tro-
posphere. Journal of the Atmospheric Sciences 37:
994–1004.

STRATOSPHERICCHEMISTRYANDCOMPOSITION

Contents

Overview

Halogen Sources, Anthropogenic

Halogen Sources, Natural

Halogens

HOx

Hydrogen Budget

Hydroxyl Radical

Reactive Nitrogen (NOx and NOy)

Overview

J A Pyle, University of Cambridge, Cambridge, UK

Copyright 2003 Elsevier Science Ltd. All Rights Reserved.

Introduction and Background

Ozone is perhaps the most important stratospheric
constituent. It absorbs solar ultraviolet radiation,
particularly strongly at wavelengths below about
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310 nm where stratospheric ozone acts as a filter to
protect life at the surface from these potentially
harmful wavelengths. Absorption of solar radiation
by ozone also results in heating of the stratosphere and
leads to the observed stable temperature structure,
where temperature increases with height throughout
the stratosphere.Ozone is also infrared active and is an
important gas for the climate system. For these
reasons, the chemistry of the stratosphere is essentially
the chemistry of ozone and the minor constituents
involved in ozone chemistry.

In the troposphere, ozone is present in mixing ratios
(the ratio of the concentration of ozone to that of air)
of a few tens of parts per billion by volume
(� few�10�9, or a few ppbv) but its peak mixing
ratio is much greater in the stratosphere, reaching
almost 10 parts per million (10�10�6, or 10 ppmv) at
just above 30 km (10 hPa) in low latitudes. Figure 1
shows seasonally averaged mixing ratios of ozone in
the stratosphere andmesosphere based on satellite and
ozone sonde data. In contrast, the largest absolute
concentrations of ozone are found in high latitudes
between 20 and 25 km and reach a few times
1012molecules cm�3. Another useful measure for
ozone is its column abundance, the vertically integrat-
ed density of ozone above the surface (also often called

‘total ozone’). For most species column densities are
measured in molecules per square centimeter. For
ozone, the traditional unit is the Dobson unit (DU),
named after the Oxford scientist who in the 1920s
pioneered the routine measurement of column densi-
ties using spectrophotometers to measure the absorp-
tion by atmospheric ozone of the solar spectrum. A
Dobson unit is a thickness of 1millicentimeter at
standard temperature and pressure. Typical column
densities are 250DU in the tropics, with little seasonal
variation, and 400DU in high latitudes in winter and
spring. Figure 2 shows the average variation of the
ozone column, as a function of latitude and month,
obtained from satellite measurements by the total
ozone mapping spectrometer (TOMS) satellite instru-
ment.

Aswewill see below, the ozone distribution is in part
controlled by radical species which themselves are
present in even lower concentrations. Typical mixing
ratios of the oxides of nitrogen are in the part per
billion range while for active chlorine species peak
values are usually around or below a part per billion.
Mixing ratios of odd hydrogen species are even lower.
The radicals themselves are produced from source
gases, of both natural and anthropogenic origin and
emitted in the troposphere. Thus, nitrous oxide is
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emitted from the Earth’s surface and is relatively inert,
and hence well mixed, in the troposphere with a
present concentration of about 310 ppbv. It is oxidized
in the stratosphere to produce NO (and hence NO2).
Similarly, water vapor (2–6 ppmv in the stratosphere)
and methane (about 1.5 ppmv at the tropical tropo-
pause) are oxidized to yield the odd-hydrogen species
H, OH, and HO2. The halogen species, which have
played an important role in ozone depletion during the
last two decades, are mainly of recent anthropogenic
origin. Their major source gases include CH3Cl (with
predominantly natural sources), CF2Cl2, and CFCl3.
These latter species are the so-called freons, which
were widely used in aerosol spray cans, refrigeration,
and foam blowing and are now regulated under the
Montreal Protocol. Along with a number of other
chlorinated species, these led to the present-day
abundance of chlorine in the stratosphere of about
3.5 ppbv. Similarly, there is about 20 pptv (parts per
trillion) of bromine in the stratosphere, arising from
the degradation of methyl bromide (which has both
natural and anthropogenic sources) and other indus-
trially produced bromocarbons, used, for example, as
fire retardants.

Odd Oxygen and the Chapman
Reactions

In 1930 Sidney Chapman proposed a series of
reactions to explain the distribution of stratospheric

ozone of which the most important are:

O2 þ hn !J1 OþO ½1�

OþO2 þM !k2 O3 þM ½2�

O3 þ hn !J3 OþO2 ½3�

OþO3 !k4 O2 þO2 ½4�

(M represents any third body, usually N2 or O2,
required to conserve energy and momentum in a
termolecular reaction.)

Note that, in the troposphere and stratosphere, the
photolysis of oxygen is much slower than the photol-
ysis of ozone. Reactions [2] and [3] are rapid and have
very short time constants for the conversion ofO toO3

and vice versa, and they establish a steady state much
more rapidly than reactions [1] and [4].

J3½O3� ¼ k2½O�½O2�½M� ½5�

([ ] represents concentration).
Note also that reactions [2] and [3] only intercon-

vert the ‘odd oxygen’ species O and O3; i.e., they
conserve odd oxygen ð½O� þ ½O3�Þ. In contrast, odd
oxygen is formed by reaction [1] and removed by
reaction [4].
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Thus, we can write for the rate of change of odd
oxygen

dð½O� þ ½O3�Þ=dt ¼ 2J1½O2� � 2k4½O�½O3� ½6�

The time scale for steady state between reactions [1]
and [4] varies strongly with altitude, being on the
order of hours at 40 kmbut on the order ofmany years
at 20 km. Invoking steady-state in the upper strato-
sphere (i.e., setting dð½O� þ ½O3�Þ=dt ¼ 0Þ is thus a
good approximation. In the low stratosphere, it would
clearly be a poor approximation since many external
factors (the intensity of solar radiation, temperature,
atmospheric transport, etc.) will all vary much more
rapidly.

In theupper stratosphere, settingdð½O� þ ½O3�Þ=dt ¼
0, we can calculate the steady-state distribution of
ozone from eqns [5] and [6]:

½O3� ¼ ðk2J1½O2�2½M�=k4J3Þ1=2 ½7�

Equation [7] describes the steady-state ozone concen-
tration in an oxygen-only atmosphere. The vertical
profile derived from eqn [7] is consistent with the shape
(but not the magnitude) of the observed profile,
especially in low latitudes. Thus, eqn [7] predicts a
peak in the ozone mixing ratio at a little above 30km.
However, this equation also predicts that the ozone
concentration should be very low in high latitudes,
when, for example, the photolysis rate of molecular
oxygen, J1, becomes very low. However, observations
show large column amounts of ozone in high latitudes
inwinter and spring (seeFigure 2),whenphotolysiswill
be at its slowest. The reason for the discrepancy lies in
the long photochemical time constant for ozone at low
altitudes.When the time constant is long, the transport
of ozone must also be considered so that the continuity
equation for odd oxygen (eqn [6]) must also include
terms to describe the transport. In reality, ozone is
produced in a source region in the low latitude middle
stratosphere and moved to higher latitudes, where
ozone is slowly destroyed, by the action of the
stratospheric general circulation.

For many years, it was thought that Chapman’s
model could adequately explain the distribution of
stratospheric ozone, at least in the middle and upper
stratosphere. However, with improved measurements
– both in the laboratory and in the atmosphere – it
became apparent that reaction [4] only removes about
25% of the odd oxygen produced by oxygen photol-
ysis. Calculations based on just the Chapman reac-
tions will seriously overestimate stratospheric ozone
concentrations, even when the photochemical time
constant is short.

Catalytic Cycles

Reaction [4] has an unexpectedly high activation
energy for such an exothermic reaction. It was realized
that, at stratospheric temperatures (200–290K), odd
oxygen could be removed efficiently in catalytic cycles
which achieve the same result as reaction [4] without
loss of the catalytic species X or XO:

XþO3 ! XOþO2

XOþO ! XþO2

Net : OþO3 ! O2 þO2

(i.e., the two reactions effectively catalyze reaction
[4]).

Cycles of this kind were discussed for mesospheric
chemistry by David Bates and Marcel Nicolet in the
1950s. In the late 1960s and early 1970s attention
switched to their role in stratospheric chemistry,
pioneered by, for example, Harold Johnston, Paul
Crutzen,MarioMolina, and Sherry Rowland, who all
highlighted an important potential role in ozone
depletion for these cycles. They showed that if the
concentration of X increases, the ozone concentration
will fall: ozone would be depleted.

There are a number of candidates for X present in
the stratosphere. These include NO, H, OH, Cl, and
Br, all discussed in detail in separate articles. Here, we
will take the cycle involving the oxides of nitrogen
(NO and NO2, members of the odd-nitrogen family)
as a single example of odd-oxygen destruction by these
catalytic cycles.

So, substituting X ¼ NO in the catalytic cycle,

NOþO3 �!k5 NO2 þO2 ½8�

NOþNO2 �!k6 NOþO2 ½9�
This cycle is responsible for about 50% of odd-

oxygen removal from the stratosphere, despite a
number of competing reactions of which the most
important is NO2 photolysis, very rapid even at low
altitudes. This produces a ‘null cycle’:

NO2 þ hn ! NOþO ðlo400 nmÞ ½10�

OþO2 þM ! O3 þM ½2�

NOþO3 ! NO2 þO2 ½8�
Assuming steady state between NO and NO2 based

on reactions [8]–[10] (a very good approximation)
then, after some simple algebra, the rate of odd-
oxygen change by the nitrogen oxides can be written,

dð½O� þ ½O3�Þ=dt ¼ �2k6½NO2�½O� ½11�
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and the total rate of odd-oxygen change for the
combinedChapmanandodd-nitrogen cycleswouldbe
given by adding eqn [6] to eqn [11]. Similarly, other
cycles, where X5Cl, OH, etc., have loss rates of the
form given by eqn [11]; the rate-limiting step usually
involves the reaction of XO with atomic oxygen, O.
The concentration of O is low in the low stratosphere
(since the rate at which O recombines to form O3,
reaction [2], increases with increasing pressure) and
thus the odd-oxygen loss rates are lower in the low
stratosphere, leading to the longer photochemical time
scales there.

These cycles dominate themiddle atmosphere away
from polar latitudes. In polar latitudes severe ozone
depletion has been observed in recent years, forced by
halogen chemistry and with the halogens turned into
active form by reactions on polar stratospheric clouds,
at the low temperatures found there. The cycles are
again catalytic, and involve both ClO and BrO. For
further details, (see Ozone: Ozone Depletion).

One final general point is worthmaking, again to be
discussed in more detail in the articles discussing the
individual chemical families. This is that in addition to
the radical species involved in the catalytic cycles,
other family members exist and can play important
roles. For example, HNO3 is an important reservoir
species for odd nitrogen; i.e., a species which is a
‘holding-tank’ for NO and NO2 (and indeed OH and
HO2) but does not take part in ozone-destruction
cycles. Similarly, HCl and ClONO2, the reservoirs for

odd chlorine, are usually the dominant form of
chlorine in the lower stratosphere, a fact which limits
chlorine-catalyzed ozone destruction, away from
polar latitudes, mainly to the upper stratosphere.

See also

Chemistry of the Atmosphere: Chemical Kinetics.
Middle Atmosphere: Transport Circulation. Observa-
tions for Chemistry (In Situ): Ozone Sondes. Ozone:
Photochemistry of Ozone. Stratospheric Chemistry
and Composition: HOx; Halogen Sources, Anthro-
pogenic; Halogen Sources, Natural; Halogens; Hydrogen
Budget; Hydroxyl Radical; Reactive Nitrogen (NOx and
NOy). Stratospheric Water Vapor.
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Introduction

None of the anthropogenic carriers of halogens in the
stratosphere is actually released there. They are
emitted close to ground level and have to survive
transport through the troposphere, requiring a lifetime
in the atmosphere of at least a year. Thus soluble
halogen-containing materials, such as hydrogen chlo-
ride (HCl),which are rained out of the atmosphere in a
matter of days, do not provide a significant halogen
input into the stratosphere; neither do the more
reactive materials, such as trichloroethene or tetra-

fluoroethene, which are oxidized in the lower atmos-
phere within a similar time scale.

The bulk of the halogen input into the stratosphere
is from anthropogenic gases that have atmospheric
lifetimes significantly longer than 2 years. These are
released from industrialized regions, principally in the
Northern Hemisphere.

Chlorofluorocarbons (CFCs), with atmospheric
lifetimes of 45–1700 years, were introduced in the
1930s as refrigerants thatwere safer than the toxic and
flammable materials then used. Despite the fact that
small amounts of CFCs have been measured in
volcanic vents, the natural contribution is negligible
compared with man-made sources. Carbon tetrachlo-
ride, which has an atmospheric lifetime of 35 years,
had been used as a solvent until the middle of the
twentieth century; subsequently it was mainly used as
a raw material for CFC manufacture, and emissions
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into the atmosphere grew with CFC production.
Hydrochlorofluorocarbons (HCFCs), with lifetimes
between 1.4 and 19 years, were introduced in the
1940s for deep freezing applications otherwise served
by ammonia. More recently, the HCFCs have become
partial replacements for CFCs. Halons, fire-extin-
guishing chemicals with lifetimes of 11–65 years and
containing bromine, were introduced in the 1960s. At
the same time the use of methylchloroform (1,1,1-
trichloroethane, atmospheric lifetime 4.8 years) as a
precision cleaning solvent was expanding rapidly.
Together with methyl chloride and methyl bromide,
which have significant natural fluxes, these carry
potentially reactive halogens (chlorine and bromine)
into the stratosphere and,with the exception ofmethyl
chloride, all are ozone-depleting substances controlled
by the Montreal Protocol.

The history of anthropogenic emissions and the
resulting atmospheric concentration is described here,
together with the consequential rise of chlorine and
bromine in the troposphere. CFCs, carbon tetrachlo-
ride, and most of the halons are removed from the
atmosphere only by photolysis in the stratosphere,
hence their relatively long atmospheric lifetimes.
HCFCs, methylchloroform and methyl halides are
oxidized in the troposphere and generally have shorter
atmospheric lifetimes, but for all compounds the
average time delay between release in the lower
atmosphere and decomposition in the ozone layer to
generate stratospheric halogen is 3 years. Further-
more, the relative effectiveness in ozone depletion of
each compound varies with the altitude at which its
halogen is released, and this, together with the time
delay, is taken into account when calculating the total
Equivalent Effective Stratospheric Chlorine (EESC),
which is ameasure of the combined effect of all ozone-
depleting substances.

Fluorine does not react with stratospheric ozone.
Consequently, the hydrofluorocarbons (HFCs) that
are designed to replace CFCs are not controlled under
the Montreal Protocol. There is already a significant
stratospheric fluorine concentration arising from de-
composition of CFCs and this is starting to be
augmented by HFCs, which have lifetimes between
1.5 and 240 years. The extent of this and the
concentrations of the much less reactive perfluorocar-
bons (PFCs) are also discussed.

The Chlorine Flux

Chlorofluorocarbons

Most of the anthropogenic chlorine content of the
atmosphere is a consequence of CFC emissions.
Historically, the largest single source was aerosol

spray cans from which the CFC propellant was
released immediately the can was used. Currently,
the principal release into the atmosphere is from a
declining stock of CFC contained in refrigeration and
air-conditioning systems and foam insulation; in these
applications, release of the substance occurs some time
after it was manufactured. The delay is variable.
Automobile air conditioners can release all of their
contents in amatter of a fewyears; on the other hand, a
domestic refrigerator has a typical service life of 20
years and the CFCs it contains leak only when it is
dismantled. Insulating foam can be in use for much
longer, with only slow release until (and if) the foam is
crushed. Uncertainties in estimates of the delay
between manufacture and emission into the atmos-
phere, characteristic of such uses, contribute signifi-
cantly to the uncertainty of the estimated emission.

For almost 30 years themanufacturers ofCFCs have
organized an annual collection of audited industrial
production and sales data for CFC-11 and CFC-12.
Historical production and sales records were also
extracted by the manufacturers for the period back to
first production in 1931 and the combined data
provide the basis for calculation of emissions of these
compounds. Annual emissions are estimated for each
major category of application based on the quantities
used, coupled with emission functions that take
account of the rates of release of the materials during
actual use and disposal (which are specific to the
application). The survey procedure and emissions
estimation have been extended to most of the indus-
trial halocarbons:


 CFC-11 (trichlorofluoromethane), principally used
in aerosols and foam insulation


 CFC-12 (dichlorodifluoromethane), principally
used in aerosols and refrigeration


 CFC-113 (1,1,2-trichlorotrifluoroethane), a solvent

 CFC-114 (1,1,2,2-tetrafluorodichloroethane), prin-

cipally used in aerosols and refrigeration

 CFC-115 (chloropentafluoroethane), a refrigerant.

Inmuch of theworld, CFC productionwas carried out
by subsidiaries of companies that reported their
production and sales into the database and up to 15
years ago the only producing country not includedwas
the USSR. Since then India, China, and Korea have
become significant producers, although they too do
not report into the industrial database. However,
national aggregate CFC production now has to be
reported to the Secretariat of theMontreal Protocol by
all parties. The estimated historical quantities re-
leased, shown in Table 1, are based on a composite
global estimate of annual production from the indus-
trial and legislative databases.
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For each sales category a characteristic pattern of
emissions in time was established by market surveys
carried out by the producers. This enabled estimates of
annual emissions as outlined above. These have been
the subject of a sensitivity study that confirmed that
the largest contributions to the uncertainties came
from the fraction of production that was not reported
in the industrial data and the rate of release of
materials from closed-cell foams. The first of these
has been addressed using the database from the
Montreal Protocol, which now matches the industrial
data reliably (to within 1% over the same set of
countries). The second is a particular problem for
CFC-11, where the range of emissions resulting from
the lowest credible estimate of the release from closed-
cell foams to the highest is 13.1%. For the period up to
1992, a mid-range estimate was used in Table 1. In
recent years, as the degree of containment of CFCs in
systems has improved, the historical emissions func-
tions have tended to overestimate releases. This was

allowed for in the estimates developed for recent
Scientific Assessments and, from 1992 onwards, it is
those values that are shown in Table 1.

In all cases the release estimates show substantial
falls during the 1990s. The fall in consumption has
actually been faster than that required under the
Montreal Protocol; nevertheless, large quantities of
CFCs remain in systems and may be released in the
future: for example, over 700Gg of CFC-11 and
250Gg of CFC-12 are currently unreleased.

Figure 1 shows how the atmospheric concentrations
of CFCs have grown. These were calculated using a
simple single-box model of the atmosphere and
current estimates of atmospheric lifetimes, according
to eqn [1], where C0 and Cy are the atmospheric
concentrations in the starting year and in year y, S is the
annual rate of release of the substance, and T is its
atmospheric lifetime.

Cy ¼ ST þ ðC0 � STÞ expð�y=TÞ ½1�

Table 1 Emissions of CFCs (Ggy� 1)

Year CFC-11 CFC-12 CFC-113 CFC-114 CFC-115

(CFCl3; 45 y)a (CF2Cl2; 100 y) (CF2ClCFCl2; 85 y) (CF2ClCF2Cl; 300 y) (C2F5Cl; 1700 y)

1970 209.0 313.8 28.0 9.7 1.3

1971 229.8 338.0 32.1 10.1 1.6

1972 259.2 368.9 36.9 10.5 1.9

1973 296.6 408.7 42.2 10.9 2.2

1974 327.1 444.3 48.4 11.3 2.5

1975 318.4 435.5 55.5 11.7 3.0

1976 325.9 425.2 63.5 12.2 3.5

1977 314.0 406.1 72.8 12.7 4.0

1978 294.9 376.7 83.4 13.2 4.7

1979 276.1 375.7 95.5 13.7 5.4

1980 264.6 373.3 109.4 14.2 6.3

1981 263.8 385.3 119.4 14.2 7.2

1982 257.2 385.3 124.6 13.7 8.1

1983 273.8 394.4 138.3 14.1 8.9

1984 295.6 413.6 171.1 15.1 9.6

1985 308.6 426.1 201.7 16.2 10.1

1986 326.8 437.5 216.6 18.0 10.6

1987 345.7 451.0 236.4 18.2 11.0

1988 353.5 462.7 260.3 16.2 11.4

1989 304.7 436.9 271.6 14.5 11.9

1990 211.4 378.8 233.8 10.3 12.2

1991 213.2 335.7 181.5 6.3 12.6

1992 168.9 319.9 147.5 5.2 12.6

1993 146.8 302.8 80.5 4.6 12.6

1994 101.1 239.9 52.0 4.0 11.8

1995 100.7 239.3 43.2 3.1 10.9

1996 101.7 220.4 27.0 2.4 9.5

1997 99.2 185.0 9.5 2.3 7.8

1998 97.2 155.5 5.4 2.7 6.0

Sources: AFEAS (Alternative Fluorocarbons Environmental Acceptability Study) (2000), Production, Sales and Atmospheric Release of

Fluorocarbons through 1998. Washington, DC: AFEAS. Midgley PM and McCulloch A (1999) Production, sales and emissions of

halocarbons from industrial sources. In: FabianP andSinghON (Eds)TheHandbook of Environmental Chemistry, vol 4. Part E,Reactive

Halogen Compounds in the Atmosphere, pp. 157–190. Heidelberg: Springer-Verlag.
aThe formula and atmospheric lifetime in years are given in parentheses.
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The units are parts per trillion (ppt, 1 in 1012) of
tropospheric chlorine loading, which is the calculated
concentration of each CFC multiplied by the number
of atoms of chlorine in its molecule. Thus, for CFC-11
(fluorotrichloromethane), the CFC concentration is
multiplied by 3.

While the growth in chlorine loading arising from
CFC-12 emissions has slowed in recent years, it is still
the largest of the CFC contributors and its absolute
concentration is still growing. The concentrations of
CFC-11 and CFC-113 have fallen discernibly, and
those from CFC-114 and CFC-115 are not large
enough to matter. Overall, the CFC contribution to
chlorine loading is now level in time.

Chlorocarbons

The next largest contribution to the chlorine loading
of the atmosphere comes from carbon tetrachloride
(CCl4, tetrachloromethane) and methylchloroform
(CH3CCl3, 1,1,1-trichloroethane). Estimates of their
emissions are shown in Table 2.

Carbon tetrachloride is hepatotoxic at relatively
low concentrations and so has not been used as a
solvent in developed countries for many years. Its
principal use is as rawmaterial for the manufacture of
CFC-11 and CFC-12 and it is thought that the
accumulation in the atmosphere now results solely
from process losses. It has not been possible to
quantify these losses in the same way as for the CFC
releases, consequently emissions into the atmosphere
have been calculated from the change in atmospheric
concentration over the period 1979 to 1996, using an
inverted form of eqn [1].

For methyl chloroform, an audited production and
sales database has been maintained from information

collected by the producers inmuch the sameway as for
CFCs. With the exception of use as a chemical
intermediate (in which it is totally converted and not
released), methyl chloroformwas used as an industrial
solvent, with total emission into the atmosphere.
Hence the emission function is relatively simple; 3

4 of
annual sales are estimated to be emitted in that year
and 1

4 in the following year. Long-term storage, over
one or two years, was accommodated by a linear
displacement of emissions in time. Prompt emissions,
coupled with a relatively short atmospheric lifetime,
have meant that the concentration of methyl chloro-
form shows the sharpest fall as a consequence of the
Montreal Protocol. Figure 2 shows the contributions
to chlorine loading from the individual chlorocarbons
superimposed on that from the CFCs.
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Figure 1 Contributions to tropospheric chlorine loading from

chlorofluorocarbons: (a) chloropentafluoroethane (CFC-115); (b)

dichlorotetrafluoroethane (CFC-114); (c) trichlorotrifluoroethane

(CFC-113); (d) dichlorodifluoromethane (CFC-12); (e) trichloroflu-

oromethane (CFC-11).

Table 2 Emissions of chlorocarbons (Gg y� 1)

Year Carbon tetrachloride

(CCl4 35 y)a
Methyl chloroform

(CH3CCl3, 4.8 y)

1970 69 133

1971 74 170

1972 84 214

1973 94 266

1974 99 305

1975 85 309

1976 92 382

1977 86 462

1978 83 513

1979 97 511

1980 95 538

1981 78 549

1982 78 523

1983 92 536

1984 74 585

1985 82 593

1986 100 602

1987 91 623

1988 89 666

1989 72 691

1990 64 718

1991 36 635

1992 44 593

1993 45 380

1994 36 283

1995 32 234

1996 10 84

1997 8 30

1998 8 16

Sources: Midgley PM and McCulloch A (1999) Production, sales

and emissions of halocarbons from industrial sources. In: FabianP

and Singh ON (eds) The Handbook of Environmental Chemistry,

vol 4. PartE,ReactiveHalogenCompounds in theAtmosphere, pp.

157–190.Heidelberg: Springer-Verlag. SimmondsPG et al. (1998)

Global trends and emission estimates of CCl4 from in situ

background observations from July 1978 to June 1996. Journal

of Geophysical Research, 103: 16017–16027.
aThe formula and atmospheric lifetime in years are given in

parentheses.
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Hydrochlorofluorocarbons

Despite their potential to replace CFCs, hydrochloro-
fluorocarbons (HCFCs) have relatively little impact on

atmospheric chlorine loading. The principal member
of this group of substances, chlorodifluoromethane
(HCFC-22), has been used as a refrigerant fluid since
1946; its low boiling point makes it suitable for low-
temperature duties and some airconditioning. As
shown in Table 3, HCFC-22 emissions have grown
to about 250Gg y� 1 and are now stable. Emissions of
the other HCFCs are one or two orders of magnitude
lower. HCFC-124 (1,1,1,2-tetrafluorochloroethane),
introduced comparatively recently, is an aerosol pro-
pellant and refrigerant fluid that is produced inmodest
amounts. HCFC-141b (1,1-dichloro-1-fluoroethane),
again a relative newcomer, is produced in much larger
quantities for use either as a blowing agent for rigid
plastic foams, such as those used for insulation, or as a
solvent. HCFC-142b (1-chloro-1,1-difluoroethane) is
also used to blow plastic foam.Over 94%of all HCFC
production is in the developed world.

HCFCs were considered to be suitable temporary
replacements for CFCs because of their low intrinsic
potential to impact the ozone layer. In general, they
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Figure 2 Contributions to tropospheric chlorine loading from

CFCs and chlorohydrocarbons: (a) methyl chloroform (1,1,1-

trichloroethane); (b) carbon tetrachloride (tetrachloromethane);

(c) all CFCs combined, as shown in Figure 1.

Table 3 Emissions of HCFCs (Gg y� 1)

Year HCFC-22

(CHF2Cl, 11.8 y)a
HCFC-124

(CF3CHFCl, 6.1 y)

HCFC-141b

(CH3CFCl2, 9.2 y)

HCFC-142b

(CH3CF2Cl, 18.5 y)

1970 45.5

1971 50.4

1972 55.1

1973 63.2

1974 71.5

1975 72.3

1976 81.4

1977 90.6

1978 99.1

1979 106.4

1980 114.7

1981 121.3 0.6

1982 123.1 0.5

1983 135.1 0.5

1984 145.0 0.6

1985 150.9 0.4

1986 160.2 1.6

1987 169.1 1.7

1988 188.5 2.0

1989 207.6 2.9

1990 214.7 5.8

1991 224.7 0.4 8.4

1992 236.3 0.1 3.9 10.8

1993 234.0 0.3 13.1 10.2

1994 240.8 0.4 24.8 10.7

1995 247.2 1.8 36.6 12.0

1996 266.2 3.5 39.5 11.7

1997 245.9 3.7 42.7 11.6

1998 255.8 3.2 49.8 10.6

Sources: AFEAS (Alternative Fluorocarbons Environmental Acceptability Study) (2000) Production, Sales and Atmospheric Release of

Fluorocarbons through 1998. Washington, DC: AFEAS. WMO (World Meteorological Organization) (1999) Scientific Assessment of

Ozone Depletion: 1998, WMO Global Ozone Research and Monitoring Project Report No. 44. Geneva: WMO.
aThe formula and atmospheric lifetime in years are given in parentheses.
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contain less chlorine than CFCs, have shorter atmos-
pheric lifetimes, so that they do not accumulate in the
atmosphere to the same extent as CFCs, and are not
photolyzed as effectively in the stratosphere, so that
the chlorine they contain is not released directly into
the ozone layer. Nevertheless, HCFCs are ozone-
depleting substances and are to be phased out under
theMontreal Protocol by 2020 in the developedworld
and 2040 elsewhere. The contribution of HCFCs to
chlorine loading is shown in Figure 3; no allowance
has been made for the relative effectiveness of their
chlorine content.

Natural Source of Chlorine

Although the quantities released by human activities
are small, methyl chloride (CH3Cl, chloromethane) is
produced by natural processes in sufficient amounts to
contribute significantly to stratospheric chlorine. The
lifetime of methyl chloride is only 1.3 years. However
the flux of 4Tg y�1, mainly from the oceans, biomass
burning, and terrestrial fungi, is large enough to
maintain an atmospheric concentration of 550 ppt.

The Bromine Flux

Halons

The natural contribution to bromine in the strato-
sphere is similar to that from anthropogenic sources;
of the total bromine loading of about 17 ppt, 9 ppt is
attributable to man’s activities and most of this comes
from halon emissions. Halons were first produced as
fire-extinguishing agents in 1963 and their use ex-
panded to almost 20Tg y� 1 by the mid 1990s. Two

substances predominated; Halon-1211 (bromochlo-
rodifluoromethane), used mainly in portable extin-
guishers, and Halon-1301 (bromotrifluoromethane),
an agent used in fixed systems. In addition, Halon-
2402 (1,2-dibromotetrafluoroethane) was produced
in somewhat smaller quantities and used in Eastern
Europe. Halon-1202 (dibromodifluoromethane) has
also been detected in small, but growing, amounts in
the atmosphere.

Bromine is 60 times more potent in ozone depletion
than chlorine in the current background stratospheric
composition. This was recognized in the Montreal
Protocol and halon production was phased out earlier
thanCFCs in the developedworld (in 1994).However,
production of Halon-1211 and Halon-1301 will
continue in China, India, and Korea for the next few
years and Russia has dispensation to continue the
manufacture of Halon-2402.

In much the same way as for CFCs, audited
production statistics are available from industry in
the developed world and from the submissions re-
quired under theMontreal Protocol for the controlled
halons, but the proportion of annual halon production
that is unreleased is much higher than is the case for
CFCs. Currently, halons should be released into the
atmosphere only when they are used in earnest – on a
fire or when the fire protection system is activated.
Although historically they were also released during
training and system testing, there remains a consider-
able time delay between production and release and a
stock of halon (known as the ‘bank’) has accumulated
in systems and equipment. The emissions of Halon-
1211 shown in Table 4 were based on a small part of
the bank (currently 12%) being emitted each year. In
the case of Halon-1301, calculated similarly, the
emission factor is now 4% of the bank each year.

Production data for Halon-2402 do not exist in the
same form and so the values for emissions in Table 4
were calculated by inverse modeling from measured
atmospheric concentrations, using eqn [1]. The source
of Halon-1202 has yet to be identified, although it is a
well known by-product of the manufacture of Halon-
1211. The emissions shown inTable 4were calculated
by inverse modeling.

Methyl Bromide

Methyl bromide contributes a total of 10 ppt to
bromine loading. Of this, only about 1.9 ppt arises
from human activities that are controlled under the
Montreal Protocol, principally use of manufactured
material for pest control in growing and harvested
agricultural produce. Minor other anthropogenic
sources that are not controlled add a further 0.4 ppt
into the atmosphere; these include the exhausts of
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Figure 3 All contributions to tropospheric chlorine loading from

(a) the combined concentrations of HCFC-124 (1,1,1,2-tetra-

fluorochloroethane), HCFC-141b (1,1-dichloro-1-fluoroethane),

and HCFC-142b (1-chloro-1,1-difluoroethane); (b) HCFC-22

(chlorodifluoromethane); (c) all chlorohydrocarbons (as in Figure 2);

(d) all CFCs (as in Figure 1).
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motor vehicles running on leaded gasoline and also
chemical process emissions.

Although there is much uncertainty, the bulk of
methyl bromide entering the atmosphere seems to
come from natural processes. The role of the oceans is
particularly difficult to untangle because they act as
both sources and sinks. Methyl bromide is released
into the atmosphere particularly from the polar oceans
and is absorbed from the atmosphere into tropical
waters where it is destroyed by bacteria.

A number of other bromine compounds are pro-
duced naturally: dibromomethane, bromochloro-
methane and dibromochloromethane together can
add up to 6 ppt to bromine loading at ground level,
particularly in the Arctic. However, these are very
short-lived species and are not considered normally to
be transported into the stratosphere.

Figure 4 shows the increase in anthropogenic
bromine loading since 1970, subdivided into contri-
butions from individual compounds. In the absence of

Table 4 Emissions of halons (Gg y�1)

Year Halon-1211

(CF2ClBr,11 y) a
Halon-1301

(CF3Br, 65 y)

Halon-2402

(CF2BrCF2Br, 25 y)

Halon-1202

(CF2Br2, 3y)

1970 0.29 0.05 0.20 0.04

1971 0.41 0.11 0.25 0.04

1972 0.56 0.19 0.31 0.06

1973 0.74 0.30 0.39 0.07

1974 0.95 0.41 0.47 0.08

1975 1.18 0.57 0.54 0.10

1976 1.49 0.86 0.62 0.11

1977 1.74 1.10 0.70 0.13

1978 2.08 1.37 0.77 0.15

1979 2.44 1.70 0.85 0.16

1980 2.84 1.98 0.93 0.19

1981 3.18 2.35 1.00 0.21

1982 3.60 2.90 1.11 0.23

1983 4.18 3.27 1.18 0.25

1984 4.96 3.81 1.26 0.27

1985 5.96 4.39 1.36 0.29

1986 7.10 5.02 1.43 0.31

1987 8.41 5.61 1.50 0.33

1988 9.82 6.25 1.73 0.35

1989 10.08 6.01 1.73 0.37

1990 10.05 5.62 1.73 0.39

1991 11.49 3.56 1.74 0.41

1992 11.99 3.61 1.72 0.43

1993 12.49 1.16 1.70 0.51

1994 12.99 4.66 1.68 0.59

1995 13.49 3.47 1.30 0.67

1996 11.12 2.77 0.85 0.73

1997 11.46 2.80 0.70 0.79

1998 11.12 2.71 No data No data

Sources:Midgley PM andMcCulloch A (1999) Production, sales and emissions of halocarbons from industrial sources. In: Fabian P and

SinghON(eds)TheHandbookofEnvironmentalChemistry, vol 4. PartE,ReactiveHalogenCompounds in theAtmosphere, pp. 157–190.

Heidelberg:Springer-Verlag.FraserPJet al. (1999)SouthernHemispheric halon trends (1978–1998) andglobal halonemissions. Journal

of Geophysical Research 104: 15985–15999.
aThe formula and atmospheric lifetime in years are given in parentheses.

9.00

8.00

7.00

6.00

5.00

4.00

3.00

2.00

1.00

0.00
1970 1975 1980 1985 1990 1995

Year

(b) (a)

(c)

(d)

(e)

T
ro

po
sp

he
ric

 b
ro

m
in

e 
lo

ad
in

g 
(p

pt
)

Figure 4 Contributions to tropospheric bromine loading from

(a) that part of methyl bromide emissions that is controlled under

the Montreal Protocol; (b) Halon-1202 (dibromodifluoromethane);

(c) Halon-2402 (1,2-dibromotetrafluoroethane); (d) Halon-1301

(bromotrifluoromethane); (e) Halon-1211 (bromochlorodifluoro-

methane).
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better information, the contribution from methyl
bromide has been shown as constant.

The Fluorine Flux

Neither F nor CF3 radicals, nor their oxygenated
derivatives, interact with stratospheric ozone; fluorine
released into the stratosphere is converted into hydro-
gen fluoride (HF), which does not react further and is
eventually removed when the stratospheric air circu-
lates into the troposphere. However, it is a significant
component of the stratospheric halogen budget. In
much the same way as for chlorine and bromine,
fluorine loading of the troposphere may be calculated
from the atmospheric concentrations of CFCs,
HCFCs, and halons, with the results shown in
Figure 5. The contribution from hydrofluorocarbons
(HFCs) is currently small but is increasing at a
significant rate. This is largely a consequence of
releases of trifluoromethane (HFC-23, fluoroform),
which is a by-product of the manufacture of HCFC-
22, has a long atmospheric lifetime, and is decom-
posed in the stratosphere, so adding to the fluorine
burden there. More recently this has also been
augmented by releases of HFC-134a (1,1,1,2-tetraflu-
oroethane, CF3CH2F), which is manufactured for use
as a refrigerant and now has a tropospheric concen-
tration of 9 ppt.

Other fluorine-containing substances do not con-
tribute significantly to fluorine loading either because
the quantities released are currently too small to
matter (the case with hydrofluorocarbons other than
HFC-23 and HFC-134a) or because they are so inert
that they do not decompose to release fluorine in the
stratosphere (the case with perfluorocarbons and
sulfur hexafluoride).

Perfluorocarbons, in particular those that are
formed as by-products of primary aluminum produc-
tion, are much more abundant than hydrofluorocar-

bons. Tetrafluoromethane (CF4, PFC-14) has now
reached a concentration of 80 ppt, half of which is due
to aluminum production. The other 40 ppt is volcanic
in origin and has accumulated in the atmosphere over
many thousands of years. Hexafluoroethane (C2F6,
PFC-116), another aluminum by-product, has no
natural source and its atmospheric concentration
now stands at 3 ppt. These substances have atmos-
pheric lifetimes over ten thousand years and are so
inert that they do not contribute to the stratospheric
loading of fluorine; indeed, the trend of their strato-
spheric concentrations with altitude is a good indica-
tor of their historic tropospheric concentrations.

As for perfluorocarbons, the atmospheric lifetime of
sulfur hexafluoride (SF6) is long (3200 years) and it too
does not contribute to the stratospheric loading of
fluorine. Although there is a volcanic source, it is too
small to be significant and most of the 4 ppt of sulfur
hexafluoride that is now present in the atmosphere has
been used in industrial applications such as electrical
switchgear.

Equivalent Effective Stratospheric
Chlorine and the Future

The concentrations so far discussed may be verified by
direct measurement of the individual species in the
troposphere, which is comparatively well mixed.
Tropospheric loading describes the concentration of
potentially active chlorine and bromine in the flux of
air entering the stratosphere; it is not exactly equal to
the loading of active halogen at the ozone layer. This is
parameterized by equivalent effective stratospheric
chlorine loading (EESC). To calculate the EESC, the
tropospheric loadings of all compounds are adjusted
by an overall factor to take account of the transport
time between the troposphere and the stratospheric
ozone layer and the contributions from individual
chlorine- and bromine-containing compounds are
adjusted by factors that accommodate their different
effects on the ozone layer. The delay due to transport is
set at 3 years. The effectiveness factor for the differ-
ence between chlorine and bromine is set at 60, as
described above. The differences between individual
chlorine compounds are much smaller than that; they
range from 1.11 for HCFC-123 (CF3CHCl2) to 0.35
for HCFC-22 (CF2HCl).

Figure 6 shows the way that EESC has developed in
the past and the changes expected over the twenty-first
century. Although it is clear that the peak loading is
past, it will take the whole of the twenty-first century
for the stratospheric loading to return to 1970 levels
and, all other things being equal, the return to loadings
that predate the Antarctic ozone hole is expected to
occur only towards the middle of the century.
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Figure 5 Contributions to tropospheric fluorine loading from (a)

all halons; (b) all HCFCs; (c) all CFCs.
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Glossary

Atmospheric lifetime The ratio of the atmospheric
concentration of a substance to its instantaneous
loss rate.

Chlorofluorocarbon (CFC) A chemical compound
consisting of carbon, chlorine, and fluorine only.

Equivalent effective stratospheric chlorine load-
ing The calculated concentration of halogen that
could be effective in ozone depletion, expressed as
an average for the stratosphere and taking account
of the relative effectiveness of chlorine and bromine
in ozone depletion and the relative efficiency by
which individual species releases halogen into the
ozone layer. Units are chlorine equivalent parts per
trillion (ppt).

Halon A chemical compound consisting only of
carbon, bromine, fluorine (and in some cases
chlorine).

Hydrochlorofluorocarbon (HCFC) A chemical com-
pound consisting only of carbon, chlorine, fluorine,
and hydrogen.

Hydrofluorocarbon (HFC) A chemical compound
consisting only of carbon, fluorine, and hydrogen.

Tropospheric chlorine loading The concentration, in
the lower mixed layer of the atmosphere, of a
compound that could transport chlorine to the
stratosphere, expressed as the product of actual
concentration and the molecular chlorine content.
Units are parts per trillion (ppt).

Parts per trillion (ppt) (1 in1012) Usedhere to describe
the atmospheric concentration of a substance in
terms of its molar mixing ratio. It is equivalent to
picomoles mole� 1.

See also

Lightning: Production of Nitric Oxide. Ozone: Ozone
Depletion Potentials; Photochemistry of Ozone. Tropo-
spheric Chemistry and Composition: Oxidizing Ca-
pacity.
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Introduction

The depletion of stratospheric ozone (O3) has been
driven by long-lived, anthropogenic halocarbons

emitted into the atmosphere during the past few
decades. When these gases, which in large part resist
degradation in the troposphere, reach the strato-
sphere, their halogen atoms are released as free
radicals. Here, the radicals accelerate the removal of
ozone through a series of catalytic reactions. Because
fluorine radicals are removed effectively as HF from
the stratosphere and because iodinated compounds
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react readily in the troposphere, persistent halocar-
bons containing chlorine and bromine are the main
halogenated compounds implicated in the destruction
of stratospheric ozone, and chlorine and bromine
radicals are the primary halogens of concern.

Not all halocarbons in the atmosphere are entirely
anthropogenic, however. Although attention in atmos-
pheric chemistry has centered on halocarbons result-
ing from human activities – the chlorofluorocarbons
(CFCs), halons (CBrF3, CBrClF2), chlorinated sol-
vents (CH3CCl3, CCl4, CH2Cl2, CHCl3), and
their replacements, the hydrochlorofluorocarbons
(HCFCs) – the methyl halides (methyl chloride
(CH3Cl) and methyl bromide (CH3Br)) are present
in significant amounts in the troposphere (Figure 1).
Other halogenated methanes, such as CHBr3, CHBr2,
and CH3I, can be locally high in atmospheric concen-
tration, but their short tropospheric lifetimes signifi-
cantly reduce their impact on stratospheric ozone.
Nevertheless, halogen atoms from short-lived com-
pounds do at times reach the stratosphere through
deep convection of these compounds. The contribu-
tion of these gases of lower concentration to ozone
depletion is unknown, although considered bymost to
be small.

Of the naturally produced halocarbons, CH3Br and
CH3Cl are the largest contributors to stratospheric
ozone depletion, accounting for about one-quarter of
the equivalent chlorine in the atmosphere (Figure 1).
Methyl bromide is the single largest carrier of bromine
to the stratosphere. Bromine, on a per-atom basis, is
about 50 times more effective in depleting ozone than
is chlorine. Although natural sources dominate the
methyl bromide budget, there is a sizable anthro-

pogenic flux to the atmosphere through its use as a
fumigant. By multilateral international agreement, its
industrial production is due to be phased out largely
because of its high ozone-depletion potential. Methyl
chloride, on the other hand, is the most abundant
chlorine-containing compound in the atmosphere,
contributing over 15% to the total tropospheric
burden of organic chlorine. Its sources are believed
to be largely natural and there is some evidence that it
was present at over 90% of today’s levels during the
early twentieth century. Both of these methyl halides
have lifetimes of around a year, making them much
shorter-lived than the CFCs, solvents, and halons
currently banned by international agreement. Never-
theless, their large fluxes into the atmosphere mean
that they reach the stratosphere, where they become
involved in ozone depletion.

Methyl Bromide

Methyl bromide is present in the atmosphere at amole
fraction, or volume mixing ratio, of around 10 parts
per trillion (1 ppt5 10�12 moles of specific gas per
mole of air) and its known sources include oceanic
emission, biomass burning, agricultural application as
a biocide, combustion of leaded gasoline, and disin-
festation of buildings and structures. Until the 1990s,
little attention had been paid to this gas in the
atmosphere, in part because of its low mixing ratio
and short atmospheric lifetime.

In the early 1990s atmospheric methyl bromide was
thought to emanate naturally from a large oceanic
source and to be destroyed exclusively by reactions in

Relative contributions to stratospheric ozone depletion

CFC-113
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CH3Cl(a)
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CH3Cl(n)
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CH3Br(a)
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CH3Br(n)
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Figure 1 Equivalent chlorine in ozone-depleting halogenated gases. Data are for 1999 concentrations in the troposphere. (n) and (a)

signify estimates of natural and anthropogenic contributions. Halogens in the two methyl halides make up about one-quarter of the

equivalent chlorine frompersistent organic compounds in the atmosphere. Equivalent chlorine is the total number of chlorine atomsplus a

weighting factor times the total number of bromine atoms in these compounds.
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the atmosphere, predominantly with tropospheric
hydroxyl (OH). Anthropogenic emissions, mainly
from disinfestation of soils, commodities, and struc-
tures, were considered responsible for about 3 ppt of
CH3Br in the atmosphere. Biomass burning and
emissions from burning of leaded gasoline were
thought to be possible contributors, but were not
quantified at that time. Recognizing that there was a
paucity of information on this important atmospheric
gas, scientists began working to understand more
completely its cycling and atmospheric budget. The
results were surprising in a number of areas.

The first of these surprises was that the ocean was
not the large source it was thought to be, but rather a
small net sink for atmospheric CH3Br. This net sink,
however, results from rapid aquatic production and
degradation working in opposition in the surface
ocean, leaving it largely undersaturated. In some areas
where production exceeds degradation, the ocean is
supersaturated in methyl bromide, but in most of the
surface ocean, most of the time, methyl bromide is
undersaturated. Because the degradation rate of
CH3Br is so high in most of the surface ocean, it had
to be included as a significant component of the
atmospheric lifetime computation. Subsequent calcu-
lations of the atmospheric lifetime of CH3Br yielded a
rate that was almost equal to the loss due to reaction
with OH in the troposphere. This alone lowered the
atmospheric lifetime of CH3Br from around 2 years to
1 year.

At about the same time, studies of the terrestrial
environment revealed additional sinks and sources of
atmospheric CH3Br. The discovery that CH3Br was
degraded rapidly in a variety of soils, mainly by
prokaryotic bacteria, lowered the estimates of atmos-
pheric lifetime even further. Later, studies of isolated
plant leaves and stems from over 100 species of plants
demonstrated that the biosphere also was involved in
the degradation of methyl bromide. Whether this loss
to plants turns out to be a significant sink will depend
upon further research. At present it appears to be small
on a global basis. However, the few field studies of
CH3Br fluxes between plants and plant ecosystems
and the atmosphere reveal net emissions from the
plants rather than net losses (Figure 2). These are each
small but collectively significant in the global atmos-
pheric budget of this gas (Figure 3).

Our current understanding of atmosphericCH3Br is
that of a gas with numerous, diverse sources and
significant sinks on land, in the ocean, and in the
atmosphere. Its lifetime, includingatmospheric, ocean-
ic, and soil sinks, is now computed at 0.7 years, but its
calculated atmospheric budget is largely out of
balance, with sinks outweighing sources by B40%.
New findings continue to reveal previously unidenti-

fied sources, which seem gradually to be closing the
gap between calculated sources and sinks (Figure 2).

Anthropogenic emissions of CH3Br are scheduled
for phase-out by 2005 in developed countries and by
2015 in developing countries. However, the extent to
which thiswill actually reduce the atmospheric burden
of methyl bromide depends upon the actual atmos-
pheric budget.

Methyl Chloride

Like methyl bromide, methyl chloride, at roughly
600 ppt in the atmosphere, received little attention
until the past decade or so, as most research efforts
were directed toward the rapidly increasing anthro-
pogenic halocarbons.Methyl chloride also has a short
atmospheric lifetime, B1 year, relative to the ant-
hropogenic halocarbons and its anthropogenic sourc-
es are very small. Until recently, it was thought that
most of the global emissions of CH3Cl came from the
oceans. Although the oceans are still considered a
major source of CH3Cl, new andmore detailed studies
show that the oceanic source is responsible for at most
15% of the methyl chloride in the atmosphere.
Similarly, wood-rotting fungi contribute only a small
amount and anthropogenic emissions of CH3Cl con-
stitute only about of 1% of the total budget. Most of
the known emissions of CH3Cl are accounted for by
biomass burning, although there remains a sizable
deficit in the overall budget. Yokouchi et al. (2000)
recently noted that emissions from tropical plants
could potentially make up this deficit. The identified
sinks formethyl chloride,mainly loss via reactionwith
OH in the troposphere, suggest that, as for CH3Br,
about half of the CH3Cl in the atmosphere is
unaccounted for.

Other Gases

Most of the remaining naturally produced organic
halogens are of low concentration and short lifetime.
They are therefore thought to pose only a small threat
to stratospheric ozone. However, they have been
observed at the tropopause (Table 1) and they can be
convected rapidly from the Earth’s surface into the
upper troposphere and lower stratosphere. Of the
purely chlorinated gases, chloroform (CHCl3) and
perchloroethylene (C2Cl4) appear to have significant
natural sources, although their budgets have been little
studied. The naturally occurring brominated species
(e.g., CHBr3, CH2Br2, CHBr2Cl), although low in
concentration, are of some concern because of the
efficiency of bromine in depleting stratospheric ozone.
These gases are produced in the ocean and are
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supersaturated throughout, by tens to hundreds of
percent. Their fluxes from the ocean are large.
Together, these lesser gases represent most of the total
fluxof organic bromine into the troposphere (Table 2).

Closing the Budgets

From recent research, it is clear that the missing
sources ofmethyl bromide andmethyl chloride are not

oceanic. The saturations of these gases have now been
mapped over most of the oceans. Although the surface
concentrations of the two gases vary spatially and
temporally to some degree, the ocean, for the most
part, is undersaturated in methyl bromide, making it a
net sink, not a net source of this gas. The ocean also is
insufficiently supersaturated in methyl chloride to
explainmore than a small percentage of its total flux to
the atmosphere. Further, although the atmospheric
mixing ratios of both gases show marked seasonal
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cycles, the cycles in the Northern Hemisphere are
amplified over those in the Southern Hemisphere,
particularly for methyl bromide. Although tropo-
spheric OH is responsible in part for the seasonal
cycling, the uneven match between hemispheres,
especially with smaller amplitude in the Southern
Hemisphere, speaks for a more complicated involve-
ment of sources and sinks. Because fluxes from the
ocean to the atmosphere are retarded significantly at

the ocean surface, it is not possible for cycles in the
oceanic flux to drive seasonal variations in the
atmosphere.

This has led to several studies to determine whether
methyl halides are released in significant amounts
elsewhere, and it appears that they are. A number of
investigations have shown that natural and cultivated
terrestrial plants emit both of these gases, andothers as
well. The emissions seem tobe related to the amount of
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these gases have significant natural sources, as both were present before the onset of large-scale agriculture and widespread use of

industrial solvents and agricultural chemicals. Concentrations of both gases, however, have increased during the twentieth century,

although the increase in methyl bromide is much larger. (Adapted from Butler et al. (1999).)

Table 1 Organic bromine in the troposphere

Compound Compound mole

fraction� 109
Bromine mole

fraction�109

CH3Br 10 10

CBrF3 2.3 2.3

CBrClF2 3.5 3.5

C2Br2F4 0.45 0.9

CH2Br2 0.75–1.5 1.5–3

CHBr2Cl 0–0.5 0–1

CHBr3 0.5–4 1.5–12

CH2BrCl 0–0.5 0–0.5

CHBrCl2 0–0.5 0–0.5

Totals 417.5 419.7

Purely anthropogenic compounds appear in bold type. Com-

pounds that are natural or have significant natural components to

their budgets (e.g., CH3Br) are shown in normal type.

Table 2 Potential global bromine fluxes

Compound Source Flux

(GmolBr year�1)

CH3Br Anthropogenic 0.5

CH3Br Natural 1.0

CH2Br2 Ocean 2.0

CHClBr2 Ocean 1.5

CHBr3 Ocean 2.0

CH2BrCl Ocean 0.5

CBrClF2 Anthropogenic 0.05

CBrF3 Anthropogenic 0.012

C2Br2F4 Anthropogenic 0.005

Total 7.5 (6.0)

Fluxes of naturally produced compounds are shown in bold type.

Although these gases contribute only a small part of the bromine

measured at the tropopause, their fluxes, mostly from the ocean,

make up about half of the flux of organic bromine into the

troposphere.
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halide in the soil. Coastal plants, such as those in
salt marshes and in tropical environments, emit
large quantities of methyl halides and, although
their global area of coverage is small, they seem
to contribute significantly to the global budget. To
date, only a few plants and a few ecotomes have
been studied for emission of methyl halides.
Additional investigations are likely to locate
more sources from the terrestrial biosphere, and with
this a possible closing of the atmospheric budgets
of these gases.

Although the natural fluxes of these gases existed
long before there were problems with stratospheric
ozone depletion, this does not mean that they are
not important. Contributions of bromine and
chlorine from the anthropogenic gases are now
declining and should continue to do so into the future;
this should provide some relief, albeit slowly. If the
fluxes of natural compounds remain the same and all
countries abide by the Montreal Protocol and its
amendments, then ‘pre-ozone-hole conditions’ could
be reached by the mid-21st century. However, every-
thing may not remain the same. A question that will
becomemore pressingwith global change is: Howwill
the fluxes of methyl bromide, methyl chloride, and
other halogenated gases between the Earth’s surface
and atmosphere will change in the future? A change in
sea surface temperature or soil temperature will
certainly affect the fluxes, as will changes in precipi-
tation or land use patterns. It is possible that such
alterations of natural fluxes could offset or delay the
timing of recovery, but we cannot know until we more
fully understand the natural cycles of these ozone-
depleting gases.

See also

Observations for Chemistry (In Situ): Gas Chromatog-
raphy.Ozone:Ozone Depletion Potentials.Stratospher-
ic Chemistry and Composition: Halogens.
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Introduction

The potential impact of halogen atoms (fluorine,
chlorine, bromine, and iodine) on the chemistry of
stratospheric ozone (O3) was first recognized in the
early 1970s, not long after researchers proposed that
nitrogen oxides (NOx) and hydrogen oxides (HOx)
could destroy ozone. These halogen atoms are pro-
duced by compounds that are relatively unreactive in
the troposphere but that decompose photochemically

in the presence of short-wave ultraviolet radiation in
the stratosphere. Among such compounds are those
known as halocarbons, which are predominantly
industrial in origin.

Formuchof the secondhalf of the twentieth century,
a number of halocarbons were used for a variety of
purposes, including refrigeration, manufacturing
of foam products, extinguishing of fires, fumigation
of crops, and production of polymers. Organisms in
the upper ocean produce small, but significant,
amounts of several halocarbons. There are only a
few ways to destroy most halocarbons once they are
released to the atmosphere, including reaction with
hydroxyl (OH) (if the halocarbon contains a hydrogen
atom), ultraviolet photolysis, and reaction with
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electronically excited oxygen atoms,O(1D).However,
these processes also initiate the cycle of ozone
destruction in the stratosphere.

Halogen atoms are examples of free radicals, species
that typically (although not exclusively) possess an
odd number of electrons and require an additional
electron to fill a molecular orbital to become more
stable. Upon collision, a free radical can acquire this
additional electron by stripping it from another
molecule (called electron transfer), by pulling an
atom off the collision partner (called extraction), or
by attaching to another free radical (called addition or
recombination). With a variety of collision partners
available, there are literally hundreds of possible
reactions and dozens of inorganic halogen compounds
that must be considered for an accurate description of
halogen chemistry in the stratosphere. However, only
halogen atoms react rapidly with ozone. Thus, atmos-
pheric chemists refer to two types of inorganic halogen
species in the stratosphere, free radicals and reservoirs.
Whereas the free radicals are directly involved in
ozone destruction, the reservoirs are more stable
compounds that do not react directly with ozone.
However, the revervoirs can react with other free
radicals or break down in sunlight to form free
radicals, hence the origin of their name.

Laboratory studies show that the reactivities of the
families of halogen compounds follow the general
trend I4Br4Cl4F; however, stratospheric abun-
dances follow the trend [Cl]4[F]4[Br]4[I]. Conse-
quently, most of the ozone destruction by halogens in
the stratosphere is due to chlorine and bromine
species. Destruction of ozone has been quantitatively
linked to chlorine and bromine free radicals, whereas
inorganic fluorine species have little impact on ozone.
The role of iodine remains to be determined.

Gas-Phase Halogen Photochemistry

Organic source gases released at Earth’s surface are
mixed throughout the lower atmosphere, a process
that takes about a year. Once they reach the upper
troposphere, these gases are slowly transported across
the tropopause, primarily in the tropics. As air in the
lower tropical stratosphere ascends, these compounds
are brokendown into their constituent atoms by short-
wave ultraviolet radiation. The atoms react with
ozone or with other species present to form inorganic
compounds. Thus, organic halogens that contain
halogen atoms and at least one carbon atom are called
the source gases, whereas the inorganic halogens are
those that contain only halogen, hydrogen, nitrogen,
and oxygen atoms. If there is no selective separation
(e.g., precipitation), the number-weighted sum of the

mixing ratios of all forms of a particular halogen will
be conserved. Thus, as the organic compounds break
down in sunlight, the abundances of inorganic com-
pounds increase concomitantly. Ultimately, the inor-
ganic halogen compounds are removed from the
stratosphere by slow downward transport into the
upper troposphere at high latitudes. Because these
compounds generally are acidic and water-soluble
(unlike the organic source gases), they are readily
scavenged in the relatively wet troposphere, returning
to Earth’s surface with precipitation.

Halogen atoms released in the stratosphere destroy
ozone by a series of catalytic reactions, so called
because the halogen free radicals are cycling between
various forms with no net change in abundance while
the ozone is converted into diatomic oxygen, O2. The
main catalytic cycles for ozone destruction can be
written symbolically (where X and Y represent F, Cl,
Br, or I, hn represents a photon of wavelength c=n, and
M is shorthand for a N2 or O2 molecule) as follows.

Cycle one

XþO3 ! XOþO2 ½I�

O3 þ hn ! OþO2 ½II�

XOþO ! XþO2 ½III�
Cycle two

XþO3 ! XOþO2 ½I�

YþO3 ! YOþO2

XOþ YO ! Xþ YþO2 ½IVa�

for : XOþ YO ! XYþO2

XYþ hn ! Xþ Yg ½IVb�

Cycle three

XþO3 ! XOþO2 ½I�

OHþO3 ! HO2 þO2 ½V�

XOþHO2 þM ! HOXþO2 þM ½VI�

HOXþ hn ! XþOH ½VII�

The net result of each of these cycles is loss of two
ozone molecules with no change in radical abundance
as in eqn [VIII].

O3 þO3 ! 3O2 ½VIII�
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From the law of mass action, the rate of ozone
destruction by a catalytic cycle can be written as the
product of the concentrations of the reactants and the
rate constant for the rate-determining step. Additional
reactions (shown below) shift the steady-state balance
between the two forms of the halogen radicals in favor
of XO, such that the rate-determining steps are the
final reactions in each of the three cycles above.
Consequently,we canwrite the change of ozone versus
time as

�d½O3�
dt

¼ 2ðkIII½XO�½O� þ kIV½XO�½YO�
þ kVII½XO�½HO2� þminor cyclesÞ ½1�

The factor of 2 appears because two ozone molecules
are destroyed for each pass through the cycle.

If there were no other reactions to consider, a
considerable amount of ozone would be destroyed
before stratospheric air mixed back into the tropo-
sphere. However, the halogen radicals are deactivated
by reactionswith other species in the stratosphere. The
main reactions of importance are shown in eqns [IX]
to [XI].

Xþ CH4 ! HXþ CH3 ½IX�

XþHO2 ! HXþO2 ½X�

XOþNO2 þM ! XNO3 þM ½XI�
There are also important reactions that re-release the
radicals or that produce short-lived reservoirs, includ-
ing those shown in eqns [XII] to [XIV].

OHþHX ! XþH2O ½XII�

XNO3 þ hn ! XþNO3 ½XIIIa�

! XOþNO2 ½XIIIb�

XOþ YO ! OXOþ Y ½IVc�

OXOþ hn ! XOþO ½XIV�
Nitric oxide produced by photolysis of NO2 and the

reaction O1NO2 reacts rapidly with halogen oxides
to release halogen atoms, thereby strongly influencing
the partitioning between the atomic and diatomic
radical forms (eqn [XV]).

XOþNO ! XþNO2 ½XV�
Except at very high solar zenith angles and at very

low altitudes in the stratosphere, most of these
reactions occur rapidly, and a steady state is estab-

lished as the various chemicals cycle from one form
to another. This cycling is shown symbolically in
Figure 1.

Because the rates of the analogous reactions vary
among the different chemical families, the partitioning
between the different chemical forms also varies. HF is
the main form of inorganic fluorine; HCl and ClNO3

account for more than 90% of inorganic chlorine,
except in the polar regions inwinter; BrO,BrNO3, and
HOBr are the primary inorganic bromine species; and
it is believed that IO, I, andHOI are the primary iodine
species.

Heterogeneous Halogen Chemistry

Early studies of stratospheric halogens focused pri-
marily on reactions between gaseous species, or so-
called gas-phase chemistry; however, a new class of
reactions was necessary to explain the rapid appear-
ance of the Antarctic ozone hole in the 1980s. These
reactions, called heterogeneous because they involve
the interactions of species in different phases (e.g.,
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between gases and species dissolved in liquids or
solids), are typically less rapid than gas-phase reac-
tions because they require the additional processes of
adsorption and dissolution. However, under dim
sunlight, such as in the winter polar regions or near
the bottom of the stratosphere, where most ultraviolet
light has been removed by the column of ozone
overhead, the rates of heterogeneous reactions can
become competitivewith those of gas-phase reactions.
It is also in these regions that ozone production is slow,
such that ozone-destruction cycles can have a large
local impact.

Extensive laboratory and modeling studies have
shown that the following heterogeneous reactions of
halogen species have the greatest impact on strato-
spheric chemistry (n denotes a reactant dissolved in
liquid or solid phase).

ClNO3 þHCln ! Cl2 þHNOn

3 ½XVI�

ClNO3 þH2O
n ! HOClþHNOn

3 ½XVII�

HOCl þHCln ! Cl2 þH2O
n ½XVIII�

BrNO3 þH2O
n ! HOBrþHNOn

3 ½XIX�

HOBrþHCln ! BrClþH2O
n ½XX�

These reactions all serve to convert relatively long-
lived reservoirs of chlorine and bromine into species
that photolyze readily in weak sunlight to release
ozone-destroying radicals, and simultaneously con-
vert short-lived reservoirs ofNOx radicals into longer-
lived species. BecauseNOx limits the reactivities of the
halogen compounds to ozone through reaction [XI] or
reaction [XV] followed by reactions [IX] or [X], its
removal results in further enhancements of the halo-
gen oxides, and consequently more severe ozone loss.
The reaction

N2O5 þH2O
n ! HNOn

3 þH2O
n ½XXI�

also indirectly enhances the abundances of halogen
oxides by converting nitrogen oxides into the long-
lived reservoir nitric acid.

Several of these heterogeneous reactions also influ-
ence the budget of HOx by either producing (e.g.
[XVII] and [XIX]) or removing (e.g. [XVIII] and [XX])
its short-lived reservoirs.Manyof these heterogeneous
reactions depend strongly on temperature, and be-
come important in the lower stratosphere only when
temperatures dropbelowabout 210K.Because of this,
and the interactions of the halogen radicals with NOx

and HOx, the response of ozone to changes in

temperature or changes in abundances of the halogen
source gases can be quite complicated and sometimes
counterintuitive. Therefore, detailed computer mod-
els are required for accurate assessments of the impact
of halogen species on stratospheric ozone.

Observations of Halogen Species

Direct observations of inorganic halogen species form
the basis for descriptions of present, and prediction of
future, decreases of ozone in the stratosphere. Based
on the rate-determining step, it is sufficient to measure
the species that control ozone loss (that is, the halogen
oxides) in order to compute the consequent rate of
ozone destruction. However, to develop a more
definitive understanding of the mechanisms control-
ling the abundances of the free radicals it is necessary
tomeasure asmany of the inorganic halogen species as
is possible. Since the mid-1970s there have been many
observations of a large number of inorganic halogen
species in the stratosphere. By the year 2000, the
following species had been quantified: fluorine family,
HF, CF2O, CFClO; chlorine family, Cl, ClO, HCl,
ClNO3, HOCl, OClO, and Cl2O2; bromine family,
BrO, HBr, and possibly HOBr; iodine family, IO. The
remaining species are predicted to exist at abundances
that represent significant challenges for current meas-
urement techniques. Each of the families is examined
separately below.

Chlorine

Emissions of industrially produced halocarbons such
as CFC-11 (CFCl3) and CFC-12 (CF2Cl2) have deliv-
ered about 3–4parts per billion (ppb) of chlorine to the
stratosphere, more than all the other halogen families
combined. Emissions by volcanoes and solid rocket
motors can significantly enhance the local abundances
of inorganic chlorine, but otherwise these sources have
a small global impact following diffusion and mixing.
Reactions [IX] and [X] proceed rapidly for chlorine, so
that in the tropics and middle latitudes ClO rarely
exceeds 20% of the inorganic chlorine budget. The
remainder of the budget consists primarily of HCl and
ClNO3 in roughly equal proportions, except at very
high altitudeswhereHCl dominates. This partitioning
is illustrated schematically in Figure 2A.

At high latitudes in winter, where photolysis rates
are slower and particles are larger andmore abundant,
heterogeneous reactions can activate all of the inor-
ganic chlorine into short-lived reservoirs that rapidly
produce radicals. Under these low-illumination con-
ditions, reactions such as [IVa] and [IVb] proceed
rapidly for weeks and months, destroying ozone at
rates of a few percent per day. In a region where ozone
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production is very slow owing to the lack of short-
wavelength ultraviolet light necessary to break the O2

bond, significant losses of ozone occur. When solar
illumination increases in springtime, ozone loss will
cease if nitric acid is present to produce NO2, which
rapidly ties upClO intoClNO3.However, if nitric acid
is largely removed (as occurs over the Antarctic by
sedimentation of cloud particles that contain nitric
acid and water, called polar stratospheric clouds, or
PSCs), ClNO3 and HCl form at rates that are far too
slow to avoid complete destruction of ozone. In such
regions measurements have identified a clear correla-
tion of ozone loss with enhanced abundances of ClO.

More typically, ozone production and loss are in
closer balance, and only a gradual year-by-year
erosion of ozone has been detected as abundances of
the halogen species increase. Consequently, the impact
of halogens on stratospheric ozone at mid-latitudes
and in the Tropics is assessed by long-termmonitoring
of as many chemical species as is feasible; these
observations are incorporated into detailed photo-
chemicalmodels of the stratosphere for interpretation.
Such studies indicate that trends in industrial chlorine
and bromine compounds can account for at least half
of the downward trends in column ozone abundances
that have been observed over the past several decades.
A great deal of international cooperation was neces-
sary to formulate regulations (e.g., the Montreal
Protocol) that have only recently begun to impact on
the abundances of ozone-destroying forms of chlorine
in the stratosphere.

Bromine

There are several sources of stratospheric inorganic
bromine, including the halons and methyl bromide,
the latter a compound that originates from both
natural and industrial processes. Only two inorganic
bromine species, BrO and HBr, have been accurately
measured in the stratosphere and they represent 40–
60% and o10%, respectively, of the inorganic bro-
mine budget. The abundances of the remaining species
have been deduced by photochemical models and
through the response of BrO to changing abundances
of compoundswithwhich it reacts. The partitioning of
inorganic bromine is illustrated schematically in
Figure 2B.

It is believed that the sum of the abundances of all
bromine-containing species in the stratosphere ap-
proaches 20 parts per trillion (ppt), which is about a
factor of 20 smaller than the sum of all the chlorine-
containing species. However, the catalytic cycles
involving bromine free radicals proceed much faster
than their chlorine counterparts, and the percentage of
bromine in free radical form is larger than that of
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chlorine. Therefore, ozone destruction due to bromine
is almost as significant as that due to chlorine,
especially in the winter polar regions and in the
lowermost stratosphere.However, because the natural
sources of methyl bromide are not well characterized
and because there are still some important uncertain-
ties in kinetic parameters, it is more difficult to
attribute the anthropogenic contribution of bromine-
catalyzed ozone losses. Consequently, international
regulations for the industrial bromine compounds
have taken longer to formulate than those for the
chlorine compounds.

There have been some important developments in
the study of atmospheric bromine based on new
observations in the last decade of the twentieth century
that call into question some assumptions about the
stratospheric bromine budget. First, by deploying
grab-samplers in the upper tropical troposphere,
investigators have detected small, but significant,
abundances of bromine-containing organic species
that have fairly short lifetimes (days) in the tropo-
sphere. Presumably, these compounds are lofted to the
upper troposphere by strong convective systems.
Because abundances of these compounds vary widely
at the surface, their contribution to the atmospheric
bromine budget is hard to ascertain.These compounds
have both natural and industrial origins,which further
complicates assessments of anthropogenic ozone loss-
es due to bromine. Second, observations have shown
that large enhancements of bromine radicals occur
sporadically near the Earth’s surface in the polar
regions by an uncertain, but probably heterogeneous,
mechanism. It is possible that a similar mechanism
operating in the lowermost stratosphere could alter
the present understanding of bromine photochemistry.
Third, elemental bromine has been detected in par-
ticles near the tropopause, raising questions about the
sources and sinks of atmospheric bromine. It is likely
that the present understanding of bromine chemistry
will change over the next decade with new and
improved measurements.

Iodine

Of all the halogens in the stratosphere, least is known
about the iodine family. Laboratory measurements
indicate that any organic iodine that is transported to
the lower stratosphere will very quickly oxidize and
release constituent atoms, and that these atomswill be
even more destructive to ozone than chlorine and
bromine. However, tropospheric measurements of
potential source compounds suggest that the abun-
dance of iodine in the stratosphere is on the order of
1 ppt or less, such that the iodine radicals will be at
least an order of magnitude or smaller in abundance

than BrO. Initial attempts to observe IO in the
stratosphere have had mixed results, but generally
indicate that there is no more than about 1 ppt of IO.
However, little is known about the reactions that
partition iodine into its various forms. It is likely that
abundances of this species are highly variable.

There have been no attempts to measure other gas-
phase inorganic iodine species whose concentrations
are well below the detection limits of most modern
instruments. However, the recent detection of elemen-
tal iodine in particles near the tropopause, an obser-
vation that is similar to the detection of elemental
bromine, raises additional questions about the pro-
cesses that control abundances of iodine in the
atmosphere.

Even at low abundances, iodine could play an
important role in ozone destruction in the lowermost
stratosphere through its synergistic interactions with
the bromine and chlorine free radicals. It has also
recently been proposed that iodine could destroy
ozone by reactions that involve OID. Clearly, there is
much tobe learned about the role of iodine in the lower
stratosphere, and this halogen is likely to be the focus
of vigorous scientific study in the early part of the
twenty-first century.

Fluorine

Inorganic fluorine is produced by the photodecompo-
sition of fluorocarbons, predominantly the chloroflu-
orocarbons (CFCs) CFCl3 and CF2Cl2.Measurements
show that HF and the photodecomposition interme-
diates CF2O and CFClO can account for the entire
inorganic fluorine budget, in agreement with models
that incorporate laboratory measurements of fluorine
reactions. Fluorine atoms react rapidly with hydro-
gen-containing species, especially H2O and CH4 that
are present at parts-per-million (ppm) abundances in
the stratosphere. In addition, there are no knownways
to release fluorine atoms from HF, a very thermody-
namically stable species. Consequently, immeasure-
ably small abundances of fluorine radicals are present
as extremely short-lived intermediates in the photo-
decomposition of fluorocarbons, and their contribu-
tion to ozone loss is negligibly small. Therefore, the
primary role of fluorine in stratospheric chemistry is as
a marker or tracer for other halogen species, in
particular the CFCs. Ground-based and satellite
measurements have shown that the rate of increase
of HF in the stratosphere can be explained entirely by
the buildup of chlorofluorocarbons in the troposphere
followed by gradual transport into the stratosphere
where they photodecompose in the presence ofUVand
chemical oxidants (primarily OH and O(1D)). The
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partitioning of inorganic fluorine is illustrated sche-
matically in Figure 2C.

Halogens and Ozone Loss

There are three distinct regimes in which ozone losses
attributable to halogens have been detected. These are
the middle stratosphere year-round, in the Antarctic
and Arctic polar vortices in springtime, and in rocket
plumes within hours following launches. In all cases,
two conditions are met that establish the link between
halogens and ozone loss. First, the regions where
ozone losses are detected are correlated with larger
abundances of halogen radicals than in adjacent
regions where there is less or no ozone loss. Second,
the rates at which ozone losses occur are equivalent
(within measurement uncertainties) to the corre-
sponding rates predicted with models that include
laboratory measurements of the rate constants for the
rate-determining reactions. Examples of the anticor-
relation between abundances of chlorine oxide and
ozone are shown in Figure 3. The sources of enhance-
ments in the chlorine radicals differ (direct local
injection in the case of the rocket and heterogeneous
reactions of HCl and ClNO3 in the case of the
Antarctic ozone hole). Consequently, the time scales
for ozone loss in these two cases are dramatically
different, less than one hour for the rocket plume and a
month for the Antarctic ozone hole; however, in both
cases the amounts of ozone destroyed over these
periods are consistent with the known kinetics of the
halogen radicals to within the uncertainties of the
measurements.

In the two cases presented in Figure 3, the ozone
destruction rates vastly exceeded the rates at which
ozone could be produced. Thus, regions of low ozone
formed adjacent to regions of higher ozone where the
abundances of the halogen free radicals were signif-
icantly lower. In the middle stratosphere, the situation
is quite different, and ozone production and loss rates
nearly match (that is, ozone is in a photochemical
steady state). In addition, the spatial variability of the
halogen radicals is small. Consequently, it is difficult to
attribute an instantaneous ozone value to a particular
abundance of halogen radicals. Rather, it is by
correlating the long-term downward trend of ozone
abundances with concomitant increases in halogen
radical abundances that the link is deduced. Observa-
tions for the last twenty years of the twentieth century
showed adecrease in ozone of approximately 10–15%
between 35 and 50 km, an amount that agrees
well with the decrease predicted as a result of the
steady rise in abundances of chlorine, the primary
agent of halogen-induced ozone loss in the
middle stratosphere.

Long-term reductions in ozone have been reported
for other regions of the stratosphere, in particular the
Arctic and the lowermost stratosphere at middle
latitudes. In the first case, springtime ozone losses
are consistent with calculations based on observed
abundances of the radicals ClO and BrO. However,
losses in themiddle ofwinter appear to be significantly
greater than expected, for reasons that are not yet
clear. It is possible that transport between regions of
differing ozone concentrations confounds efforts to
attribute ozone loss to specific halogen radical abun-
dances. In the mid-latitude lower stratosphere, the
ozone losses themselves are highly uncertain, because
they occur in a region where there is a strong vertical
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gradient in the ozone mixing ratio and because
measurement techniques are not optimized for these
altitudes. Nevertheless, there have been several at-
tempts to attribute these trends to increases in the
abundances of anthropogenic chlorine and bromine,
accelerated by naturally occurring iodine radicals.
This is a region of the stratospherewhere temperatures
are very low (B200K) and heterogeneous reactions
on sulfuric acid aerosols or thin cirrus clouds could
enhance halogen radical abundances. New measure-
ments at the turn of the century suggest that chlorine
radicals are not significantly enhanced in this region,
but bromine and iodine radicals may be. Whether or
not these enhancements are sufficient to explain
the unexpectedly large trends deduced in the lower
stratosphere will be a focus of much attention in the
coming years.

See also

Chemistry of the Atmosphere: Chemical Kinetics.
Numerical Models: Chemistry Models. Observations
for Chemistry (In Situ): Particles. Observations for
Chemistry (Remote Sensing): Lidar; Microwave.
Ozone: Ozone Depletion Potentials; Photochemistry of

Ozone. Stratospheric Chemistry and Composition:
HOx; Halogen Sources, Anthropogenic; Halogen Sources,
Natural.
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Introduction

The hydrogen radical family (HOx) consists of
the hydrogen (H), hydroxyl (OH), and hydro-
peroxyl (HO2) radicals. Concentrations of these
highly reactive radicals are small, between 1 part
per trillion (ppt) in the lower stratosphere and
400 ppt in the upper stratosphere. Despite this, HOx

is important because it participates in many reactions
that control the photochemistry of stratospheric
ozone. The hydrogen radicals are important in the
removal of O3 through direct reaction with O3 and
indirectly through reaction with the halogen oxides.
HOx also removes ozone through reactions with the
nitrogen and halogen chemical families. The extensive
coupling of HOx to these chemical families leads to a
particularly complex set of reactions that controlHOx

photochemistry. Understanding these mechanisms is
important in understanding both HOx and, more
broadly, the mechanisms that control ozone photo-
chemistry.

HOx Sources

HOx is produced from the oxidation of the stable
hydrogen-containing species, water, methane, and
molecular hydrogen. The relative strength of these
sources is largely determined by their concentrations
at the tropopause: H2O B4 parts per million (ppm),
CH4 B1.5 ppm, and H2 B0.5 ppm. The numerous
pathways that participate in this oxidation are dia-
grammed in Figure 1. The oxidation occurs mostly
through gas phase reactions with highly reactive
species, i.e. excited oxygen atoms, chlorine atoms,
and OH. The oxidation of water also occurs via
hydrolysis reactions catalyzed by acid aerosols found
in the lower stratosphere. In most cases, the produc-
tion mechanisms include a large number of reactions,
most of which have little direct effect on HOx. These
mechanisms are presented in terms of reaction se-
quences that can be simplified in terms of rate-
determining reactions and net yields.

Gas Phase Processes

The largest single source of HOx throughout the
stratosphere is theoxidationofH2Oby theelectronically
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excited oxygen atom Oð1DÞ which is generated from
the photolysis of O3 at wavelengths less than
B330 nm. The production from this mechanism is
represented by a sequence of reactions that leads to a
net conversion of H2O to HOx:

O3 þ hn ! Oð1DÞ þO2 ½1�

Oð1DÞ þH2O ! 2OH ½2�

Net: O3 þH2O ! 2OHþO2

Only a small fraction of the Oð1DÞ produced from
reaction [1] subsequently reacts via reaction [2]; most
Oð1DÞ relaxes to ground state Oð3PÞ after collisions
with N2 and O2. The rate of this sequence is
determined by the slowest or the ‘rate-determining
step’, in this case reaction [2]. The rate of the
production of HOx fromH2O, which is equal to twice
the rate of reaction [2], is shown in Figure 2. This and
the following sequences are identified in the figures by
the rate-determining steps.

The oxidation ofmethane requires a greater number
of reactions to liberate all four hydrogen atoms. The
sequence initiated by Oð1DÞ can produce as many as
four HOx:

O3 þ hn ! Oð1DÞ þO2 ½1�

Oð1DÞ þ CH4 ! CH3 þOH ½3�

CH3 þO2 ! CH3O2 ½4�

CH3O2 þNO ! CH3OþNO2 ½5�

NO2 þ hn ! NOþO ½6�

OþO2 ! O3 ½7�

CH3OþO2 ! CH2OþHO2 ½8�

CH2Oþ hn ! Hþ CHO ½9�

CHOþO2 ! HO2 þ CO ½10�

Net: CH4 þ 3O2 ! HþOHþ 2HO2 þ CO

An alternate pathway for the photolysis of CH2O in
reaction [9] is the production of H2 and CO:

CH2Oþ hn ! H2 þ CO ½11�
When the oxidation of methane follows this path, the
net yield is only 2HOx for every CH4 consumed. Since
reactions [9] and [11] compete, the yield of HOx from
CH4 oxidation initiated by reaction [3] is somewhere
between 2 and 4. The utility of the rate-determining
step and net yields is particularly evident in this
sequence, where nine reactions can be thought of in
terms of one. In this case, the rate of production of
HOx from CH4 is 2–4 times the rate of the rate-
determining step, reaction [3]. The rate of this and the
following CH4 oxidation sequences decrease relative
to theH2O source at higher altitudes. This results from
the net conversion of CH4 to H2O as the air in the
lower stratosphere ages during the slow ascent into the
mid to upper stratosphere.
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O3, NO, ClO, BrO, O
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The methane oxidation sequence that is initiated by
OH is autocatalytic. OH is consumed at the initiation
step,

OHþ CH4 ! CH3 þH2O ½12�
but the subsequent reactions [4]–[10] can produce as
many as 2HOx. In the lower stratosphere where the
oxidation of CH4 is most important, the rate of
reaction [12] is faster than that of reaction [3], so that
the sequence initiated by OH is often more important
than that initiated by Oð1DÞ.

Oxidation of CH4 is also initiated by reactions of
CH4 with Cl.

Clþ CH4 ! CH3 þHCl ½13�
Themethane oxidation sequence that is initiated byCl
can be themost important source ofHOx in the winter
polar vortex when active chlorine levels are high and
HCl concentrations are low. In these conditions, ClO
controls the conversion of CH3O2 ! CH3O:

CH3O2 þ ClO ! CH3Oþ ClþO2 ½14�
Outside the winter polar vortex this sequence is not a
large source of HOx, because Cl concentrations are
lower and the reaction

OHþHCl ! H2Oþ Cl ½15�
is important, resulting in a lower yield for HOx

production. In these conditions [13] and [15] are the
dominant production and loss terms of HCl.

The production of HOx from the oxidation of H2 is
analogous to that of H2O:

O3 þ hn ! Oð1DÞ þO2 ½1�

Oð1DÞ þH2 ! HþOH ½16�

Net: O3 þH2 ! HþOHþO2

This source is much smaller than the H2O and CH4

sources, owing to the much lower concentration of H2

in the stratosphere and to a smaller rate constant. In
the lower stratosphere where this sequence is most
significant, H2 accounts for only 4% of the total
production of HOx.

Heterogeneous Processes

Heterogeneous reactions are important in the parti-
tioning of the nitrogen and halogen families. These
same reactions are important sources of HOx in the
lower stratosphere where aerosol concentrations are
significant. The hydrolysis of N2O5 on sulfuric acid
aerosols is a major source of HNO3 and HOx in the

lower stratosphere:

NO2 þNO3 �!M N2O5 ½17�

N2O5 þH2O �!Aerosol
2HNO3 ½18�

2�ðHNO3 þ hn ! OHþNO2Þ ½19�

NO2 þO3 ! NO3 þO2 ½20�

Net: H2OþO3 ! 2OHþO2

The first step in this sequence is significant only at
night becauseNO3 is easily photolyzed during the day.
Thus, this sequence is not important in the high-
latitude summer when continuous sunlit conditions
occur. An alternate pathway for the removal of HNO3

in reaction [19] is reaction with OH, discussed in the
next section. This pathway removes HOx so that the
yield from the hydrolysis of N2O5 is less than 2HOx.

In the winter and early spring polar vortex when
ClO and aerosol concentrations are high, heterogene-
ous reactions of ClONO2 are the dominant source of
HNO3. The hydrolysis of ClONO2 can be a particu-
larly strong source of HOx:

ClOþNO2 ! ClONO2 ½21�

ClONO2 þH2O �!Aerosol
HOClþHNO3 ½22�

HOClþ hn ! OHþ Cl ½23�

ClþO3 ! ClOþO2 ½24�

HNO3 þ hn ! OHþNO2 ½19�

Net: H2OþO3 ! 2OHþO2

The heterogeneous reaction [22] is strongly tempera-
ture-dependent, proceeding fastest at low tempera-
tures (190–200K). As in the case of N2O5 hydrolysis,
the reaction of OHwith HNO3 competes with [19] to
reduce the yield of this sequence. In addition, the
heterogeneous reaction:

HOClþHCl �!Aerosol
H2Oþ Cl2 ½25�

competes with reaction [23] and to further reduce the
yield of this sequence. When ClONO2 is absent, as in
the polar winter lower stratosphere, reaction [25] can
be a net sink of HOx. The analogous hydrolysis of
BrONO2 is only weakly temperature-dependent, and
it is only a small source throughout the lower
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stratosphere. This reaction produces a distinct in-
crease in HOx when HOBr produced is photolyzed at
daybreak.

Sinks

The removal of HOx in the stratosphere consists
entirely of reactions that convert HOx to H2O. The
numerous pathways involving NOy and HOx inter-
mediates are shown in Figure 1. Unlike the nitrogen
and halogen radical families, HOx radicals are not
sequestered in reservoirs. This is because these poten-
tial reservoirs (HNO3 and HNO4) react rapidly with
OH, serving as sinks instead.

The primary removal mechanism for HOx in the
lower and middle stratosphere is the reaction of OH
with NO2, followed by reaction with HNO3:

OHþNO2 �!M HNO3 ½26�

OHþHNO3 ! H2OþNO3 ½27�

NO3 þ hn ! NO2 þO ½28�

Net: 2OH ! H2OþO

The similar sequence that produces and removes
HNO4 also removes HOx:

HO2 þNO2 �!M HNO4 ½29�

OHþHNO4 ! H2OþNO2 þO2 ½30�

Net: OHþHO2 ! H2OþO2

The HNO3 and HNO4 sequences are most important
in the lower stratosphere where the concentrations of
HNO3 and HNO4 are high. The first-order loss rates
of the removal sequences are shown in Figure 3.When
concentrations of ClO are elevated, the reaction

OHþ ClO ! O2 þHCl ½31�
is a significant sink of HOx. Because concentrations of
HCl are usually low when ClO concentrations are
high, the reaction ofOHwithHCl [15] that completes
the conversion of HOx to H2O is not significant.

When the concentrations of HOx are large the self-
reaction of HOx becomes significant:

OHþHO2 ! H2OþO2 ½32�
In the mid to upper stratosphere reaction [32] is the
dominant sink of HOx. In this region of the strato-
sphere HOx photochemistry is greatly simplified.

Concentrations ofHOx are determined nearly entirely
by production from H2O and removal via the self-
reaction.

The most significant heterogeneous removal mech-
anism of HOx is the hydrolysis of N2O5:

NO2 þNO3 �!M N2O5 ½17�

N2O5 þH2O �!Aerosol
2HNO3 ½18�

2�ðOHþHNO3 ! H2OþNO3Þ ½27�

NO3 þ hn ! NO2 þO ½28�

Net: 2OH ! H2OþO

This reaction is important only in the lower strato-
sphere where aerosol concentrations are high. As
mentioned in the previous section, an alternate path-
way to reaction [27] is the photolysis ofHNO3 [19], so
that the occurrence of [18] leads to the removal of less
than 2HOx. The analogous removal mechanisms
involving ClONO2 and BrONO2 are less significant
because the reactions ofOHwithHOCl andHOBr are
too slow to compete with the photolysis of these
species.

Secondary Sources and Sinks

The production and loss mechanisms shown in
Figure 1 are portrayed as part of a one-way flux
from the primary sources (H2, H2O, and CH4)
through HOx and back into H2O. On average this
flux is balanced, but there are certain situations when
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other pathways are significant. These processes are
part of null sequences. For example, the formation
followed by photolytic destruction of HNO4 is

HO2 þNO2 �!M HNO4 ½29�

HNO4 þ hn ! OHþNO3 ½33�

Net: H2OþNO2 ! OHþNO3

This is a net null for HOx averaged over a 24-hour
diurnal cycle. However at any given instant within the
diurnal cycle these reactions are not required to
balance. In particular, at sunrise and sunset HNO4 is
not in steady state, i.e. the rate of [29] does not balance
[30] and [33]. Under these twilight conditions, this
sequence can be a source (sunrise) or a sink (sunset).
Other null cycles that can be instantaneous sources or
sinks of HOx include the formation and photolysis of
HONO, HOCl, HOBr, and H2O2. Conceptually,
these terms should be considered secondary processes.
That is, they do not influence the interpretation of
the 24-hour average abundance ofHOx versus altitude
or latitude, but they are significant in model calcula-
tions that attempt to reproduce HOx at twilight
conditions.

Diurnal Change

The production of HOx is tied to the flux of ultraviolet
(UV) radiation that drives the photolysis reactions and
initiates the production sequences. This UV flux,
which is strongly attenuated by O3, depends on the
O3 slant column (the amount of O3 between an air
parcel and the Sun). During a diurnal cycle, this slant
column changes with the angle of the Sun, resulting in
large changes in UV flux and photolysis rates. The
resulting change in the production rate of HOx for
conditions typical of the mid-latitude lower strato-
sphere is shown in Figure 4. The sharp increase in the
production rate indicates the strong dependence on
UV flux, hence solar zenith angle. The relative
strengths of the sources and sinks of HOx also depend
on solar flux. For example, the oxidation of CH4 is
faster than that of H2O at the highest solar zenith
angles. This is because the oxidation of CH4 can be
initiated by OH and Cl atoms that are produced more
easily than Oð1DÞ at twilight conditions.

HOx Cycling

The relative concentration of H, OH, and HO2 is
controlled by fast cycling reactions that do not
produce or remove HOx. H is converted to HO2 via

the extremely fast reaction with O2.

HþO2 ! HO2 ½34�
This reaction is significantly faster than the reactions
that produce H (i.e. [9] and [16]), so that concentra-
tions of H are negligible compared to the OH and
HO2.Because the conversion ofH ! HO2 is so fast,H
is often neglected and the production of H is consi-
dered equivalent to the production of HO2.

The relative concentration of OH and HO2 is
controlled by reactions that interconvert OH and
HO2. The primary conversionmechanism in the lower
and middle stratosphere is

OHþO3 ! HO2 þO2 ½35�

HO2 þO3 ! OHþ 2O2 ½36�

Net: 2O3 ! 3O2

This reaction sequence is a net loss for ozone, and
accounts for a large fraction of the total ozone removal
rate in the lower stratosphere. In this sequence, the rate
constant for reaction [35] is much larger than that of
reaction [36], so that concentrations of HO2 are
almost always greater than OH in the lower to mid
stratosphere.

An important pathway for the conversion of
HO2 ! OH is part of a null cycle:

OHþO3 ! HO2 þO2 ½35�

HO2 þNO ! OHþNO2 ½37�
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NO2 þ hn ! NOþO ½38�

OþO2 ! O3 ½39�

Net: null

This and the prior sequence illustrate the interaction
between HOx and NOx on ozone loss rates. Reaction
[36] removes O3 and reaction [37] leads to the
production of O3. The relative rate of [36] compared
with [37] determines the net O3 removal rate follow-
ing reaction [35].

The relative abundance of OH and HO2 is propor-
tional to the concentrations of the species and rate
constants that interconvert OH and HO2. In the mid-
latitude lower to mid stratosphere, where reactions
[35]–[37] dominate the interconversion rate, the ratio
HO2 is controlled by O3, NO, and the rate constants
for these reactions. Figure 5 shows how the ratioHO2/
OH responds to the changes in O3 and NO. At a fixed
amount ofNO, an increase inO3 leads to greaterHO2/
OH because the rate constant for reaction [35] is
roughly 15 times faster than that of reaction [36]. At
the limit of very high concentrations of O3 (or low
NO) the ratio ofHO2/OH is determined by the ratio of
the rate constants for reactions [35] and [36], i.e.
HO2=OH � k35=k36. For a fixed amount of O3,
increases in NO lead to decreases in HO2 because
reaction [37] converts HO2 ! OH. At some limit of
very high NO (or low O3), HO2/OH would approach
zero.

When the concentrations of ClO are high, such as
the wintertime polar vortex, the reaction with ClO
controls the balance between OH and HO2:

OHþ ClO ! HO2 þ Cl ½40�

ClþO3 ! ClOþO2 ½24�

HO2 þ ClO ! HOClþO2 ½41�

HOClþ hn ! OHþ Cl ½23�

ClþO3 ! ClOþO2 ½24�

Net: 2O3 ! 3O2

The analogous sequence involving BrO also contri-
butes to the interconversion ofOHandHO2and to the
removal ofO3. These sequences are almost always rate
limited by reaction [41] and the analogous reaction of
HO2 with BrO.

In the upper stratosphere, the reactions with O
atoms become important:

OHþO ! HO2 ½42�

HO2 þO ! OHþO2 ½43�

Net: 2O ! O2

Above B40 km this sequence dominates the conver-
sion of OH and HO2. The rate constant of reaction
[43] is roughly twice as large as that for reaction [42],
so that concentrations ofOHare greater than [HO2] in
the highest part of the stratosphere.

The OH-initiated oxidation of CH4, reactions [12]
followed by [4]–[10], converts OH to HO2. In addi-
tion, the subsequent oxidation of CO converts
OH ! H, via

OHþ CO ! Hþ CO2 ½44�
These reactions are important only in the lowest part
of the stratosphere near the tropopause region, where
they might account for a few percent of the total
OH ! HO2 conversion rate.

Nomenclature

Concentration: in parts permillion (ppm5 10� 6) and
parts per trillion (ppt5 10� 12)

Production rate: in ppt s� 1

Nanometer: 1 nm5 10� 9m
Collision partner: M5O2 and N2

Photon: hv

See also

Aerosols:Physics andChemistry of Aerosols.Chemistry
of the Atmosphere: Chemical Kinetics; Principles of
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Introduction

The principal components of the hydrogen budget of
the stratosphere are water vapor, H2O (mixing ratio
between 3 and 4 parts per million by volume, ppmv,
in the lower stratosphere), methane, CH4 (about
1.7 ppmv), and molecular hydrogen, H2 (about
0.5 ppmv). The first two of these are greenhouse gases,
with strong absorption bands in the infrared, making
their concentration and evolution of interest in studies
of the balance of climate, and how this might change
with time. The hydrogen free radicals such as the
hydroxyl radical OH, HO2, and atomic hydrogen,
H, are present in much lower concentrations (mixing
ratios of order 10�11 at 30 km), but are highly
reactive, and are consequently of particular impor-
tance in atmospheric chemistry. Since this article is
concerned with the budget of hydrogen in the strat-
osphere, we shall be concerned primarily with the
three species that dominate themass: the trace radicals
will only be considered in so far as they enter into
reactions which determine the concentrations of the
three major constituents.

Because of the importance to radiative energy
exchange and chemistry, a wide range of studies of
both the major and minor hydrogen-bearing species
have been undertaken over the years. In what follows,
we shall review the state of knowledge on the
concentrations, budget, and variability of the three
principal hydrogen species H2O, CH4, and H2.

Supply of Hydrogen Species to the
Stratosphere

Water vapor is continuously supplied to the strato-
sphere from the ocean surface, via the troposphere.

While concentrations in the troposphere are high,
sometimes approaching saturation near the surface,
the Brewer–Dobson circulation transports air upward
over the tropics, and through the tropical tropopause,
which is characteristically very cold and high. This
causes the ‘freeze-out’ of water by the tropopause cold
trap, with the consequence that the airmoving into the
stratosphere is extremely dry (mixing ratios of order a
few parts in 10�6 (see Stratospheric Water Vapor).

In the stratosphere, oxidation of both methane and
H2 takes place, adding to the concentration of water
vapor, but simultaneously H2 can be produced by
oxidation of formaldehyde, CH2O, which itself is
derived from CH4. The overall net effect is to cause
water vapor to increase with height, mainly at the
expense of methane, which decreases in mixing ratio,
while molecular hydrogen stays roughly constant in
mixing ratio with height (since reactions which both
add and delete H2 occur with similar rates). Later we
will examine some data for H2O and CH4 from both a
satellite and a balloon experiment, which indicate that
the sum of total hydrogen, which may be expressed as
c ¼ 2�CH4 þH2OþH2, is, as far as can be meas-
ured, constant with height through most of the
stratosphere.

Loss of Hydrogen Species from the
Stratosphere

There are three principal mechanisms by which
hydrogen species are lost from the stratosphere:

1. by being part of the overall global circulation of
descending air at mid to high latitudes;

2. by loss, particularly of the lightest component,
molecular hydrogen, from the top of the the
atmosphere to space;

3. by removal of ice where condensation occurs and
ice particlesmay be removed bymovement into the
troposphere and subsequent ice sublimation or ice
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melting and liquid evaporation: this can happen,
for example, at the top of cumulonimbus clouds
once they begin to decay, or in the Antarctic polar
vortex, where extremely low temperatures and
sinking motion prevail.

Photochemistry of Stratospheric
Hydrogen

Since original work in 1950 by two major figures in
atmospheric chemistry and aeronomy, David Bates
andMarcel Nicolet, the photochemistry of the hydro-
gen family has been treated many times. A valuable
treatment is to be found in the book by Brasseur and
Solomon (see under Further Reading). The three
principal components, H2O, CH4, and H2 all enter
the stratosphere from the troposphere below, as part of
the general circulation of the atmosphere. In the
troposphere, water vapor derives, of course, ultimate-
ly from the large reservoir in the oceans; methane
comes from anaerobic processes, and molecular
hydrogen is thought to be produced from cars and
biomass burning, as well as from natural sources
at the surface. The approximate mean values of
the mixing ratios of the three as they enter the
stratosphere are:

� H2O: �3–4.2 ppmv
� CH4: �1.7 ppmv
� H2: �0.5 ppmv

There has been some controversy over the so-called
‘mean entry level’ mixing ratio for water vapor, which
will be discussed further below (under Issues).

Once the source molecules are in the stratosphere,
they are carried by the circulation to higher altitudes
and latitudes. In the mid-stratosphere, the methyl
radical, CH3, is formed by oxidation processes [I], [II],
and [III] below, and then may be converted to
formaldehyde, CH2O, by schemes [IV], [V], and
[VI], in the presence of chlorine and nitrogen
oxides.

CH4 þOH ! CH3 þH2O ½I�

CH4 þOð1DÞ ! CH3 þOH ½II�

CH4 þ Cl ! CH3 þHCl ½III�
Note that because of the distributions of OH, O,
and Cl with height, these reactions are more effective
in the middle and upper stratosphere than they are
nearer the tropopause. This means that little methane
is converted to water vapor or molecular hydrogen
in the lower stratosphere. We will consider this

further below.

CH3 þO2 ! CH3O2 ½IV�

CH3O2 þNO ! CH3OþNO2 ½V�

CH3OþO2 ! CH2OþHO2 ½VI�
The formaldehyde so formed may be photolysed, or
may react with OH, as in reactions [VII], [VIII], and
[IX] below.

CH2Oþ hn ! H2 þHCO ½VII�

CH2Oþ hn ! HCOþH ½VIII�

CH2OþOH ! H2OþHCO ½IX�
The formaldehyde produced eventually forms H2 and
H2O, and so the sequence from methane to water
vapor (and to molecular hydrogen) is established.
Also, if HOx, HCl orHCO is produced fromCH4, it is
quickly converted to H2O, much faster than it is
produced from the methane, so that these particular
processes are also essentially a means of producing H2

and H2O from CH4.

Observations of Hydrogen-Containing
Constituents in the Stratosphere

Satellite Observations of H2O and CH4

The near-global perspective offered by satellites has
been used in the study of the total hydrogen budget of
the stratosphere. Not only are satellite instruments
capable of near-global observations, but they are also,
in principle, capable ofmakingmeasurements ofmany
atmospheric constituents simultaneously, and of the
way they move around. In fact, water vapor and
methane, being polyatomic molecules, have active
infrared spectra that provide a mechanism for remote
measurement of concentrations from space, either by
measurement of thermal emission or by solar absorp-
tion at the frequencies of the relevant vibration–
rotation bands. Molecular hydrogen does not, how-
ever exhibit an allowed infrared spectrum, and has not
yet been measured from space.

To date, three satellite projects have provided
sufficient data to make a test of the hydrogen budget
possible. These are the Nimbus 7 and the Upper
Atmosphere Research Satellite projects, and the
ATMOS Space Shuttle instrument, all from NASA in
the USA (a useful web page listed under Further
Readingwill allow the viewer to investigate the details
of past, present, and future NASA satellite missions).

STRATOSPHERIC CHEMISTRY AND COMPOSITION / Hydrogen Budget 2181



On Nimbus 7, launched in 1978, the Limb Infrared
Monitor of the Stratosphere, LIMS, provided first
infrared measurements of water vapor, while the
Stratospheric and Mesospheric Sounder, SAMS,
made measurements of methane. On UARS, the
HalogenOccultation Experiment, HALOE, produced
a decade of measurements of both water vapor and
methane, simultaneously and precisely bore-sighted
(i.e., colocated), which have provided copious quan-
tities of data with which to test theory. Also, the
ATMOS experiment, a high-resolution solar tracking
Fourier transform spectrometer, has been flown on a
number of Space Shuttle missions, and has provided
complete spectral coverage in the infrared from about
3 to 16 microns, at high spectral resolution.

Each of these experiments has been used to study
the distribution throughout the stratosphere of
H2O and CH4, and the ratio of the changes of mixing
ratio of these two constituents with height,
R ¼ DH2O=DCH4. R is a parameter which can
provide a useful test of photochemical and dynamical
processes thatmight determine the hydrogenbudget of
the stratosphere, as we will discuss further below.
Values in the range R ¼ �1:5 to �2.0 have been
found.

The sum of ‘total hydrogen’ mixing ratio,
c ¼ 2�CH4 þH2OþH2, has also been examined
using these satellite data, or at least that part of c that
can be measured, i.e., cn ¼ 2�CH4 þH2O (so that
c ¼ cn þH2). It has usually been assumed in such
studies that the mixing ratio of H2 is constant at
0.5 ppmv. Figure 1 shows a result forcn obtained from
HALOE data, for the stratosphere and mesosphere
above 10 hPa. This and other work (see later) indicate
that this parameter is, indeed rather constant in the
stratosphere, and took values in the 1990s in the range
6.0 to 7.5 ppmv, though there does seem to be a
significant trend with time, according to the SPARC

report on upper-tropospheric and stratospheric water
vapor (see Further Reading). The value of cn starts to
fall significantly from a constant value above about
0.1 hPa,where rapid production ofH2 in preference to
H2O takes over.Work by the author of this article and
his colleagues has shown that, on the assumptions that
the total hydrogen budget is constant, and that water
vapor, methane, and molecular hydrogen are the only
significant components, suchmeasurements ofcn may
be used to derive the distribution ofH2, particularly in
the mesosphere, where it varies significantly (see
Further Reading).

Aircraft and Balloon measurements of H2O, CH4

and H2

Very many observations of water vapor have been
made from balloon and aircraft platforms, far too
many to review here (see the SPARC assessment listed
in Further Reading). Fewer, though still many, meas-
urements have been reported ofCH4, and still fewer of
H2. Those measurements in which all three species
have been measured together are very few! However,
because of the near-constancy of theH2mixing ratio in
the stratosphere, measurements of just water vapor
and methane have proven valuable. The advantage of
local measurements over satellite measurements is, of
course, that they are sensitive to smaller spatial and
time scales than are satellites, so that more detailed
processes may be studied. Also, many of the sensors
used on aircraft and balloons, especially some of the
in-situ sampling sensors, are capable of higher relative
and absolute accuracy than are satellite sensors. One
example of the use of aircraft measurements of H2O
andCH4 is shown in Figure 2. This shows scatter plots
for four different flights of an aircraft at between 17
and 20km, in the latitude range 15–401N, in 1993.
Water vapor was measured using a photofragment
fluorescence sensor, methane by a tunable diode laser
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instrument. Bothmeasurements are local. The data are
compared with a line obtained by linearly fitting the
data from all four flights, which has a gradient of
m ¼ DH2O=DCH4 ¼ �1:94� 0:27. This is close to
the value of R ¼ �2:0 expected if oxidation of
methane goes completely to water vapor, and if the
production and loss of molecular hydrogen is in
balance. This will be discussed further below.

Other balloon and aircraft instruments have includ-
ed infrared sensors, cryogenic trapping followed by
laboratory analysis, gas chromatography, mass spect-
rometry, resonance fluorescence techniques, and frost-
point hygrometry.

Some Issues about the Hydrogen
Budget of the Stratosphere

Entry-Level Mixing Ratio of Water Vapor

There has been some controversy over the so-called
mean ‘entry level’ of water vapor. Values based on
Nimbus 7 data of 2.7 and 3.25 ppmv have been
reported, while a value of 4.270.5 ppmv has been
reported from aircraft data. However, the picture is
confused by the fact that the value may actually have
changed with time (reports of increases of about
1%year� 1 have been published, i.e. about 10%dec-
ade�1, a very significant change), and because only
rather limited measurements have been reported near

the tropopause. What is beyond disagreement now is
that such a global mean value for the entry-level water
vapor is merely an average over quite a range,
probably from as low as 2 ppmv to as high as 7 ppmv
in different regions: moreover, there are probably a
number of different processes that control the trans-
port of water vapor in particular from the troposphere
to the stratosphere (see StratosphericWater Vapor), so
that the globally averaged view cannot resolve these
important individual processes.

The Conversion of Methane to Water Vapor

An important question is that of the ratio of
R ¼ DH2O=DCH4, i.e. the increase in water vapor
with respect to the decrease in methane with height. It
is important in part because it is a ratiowemayhope to
test from observations. Is this ratio R ¼ �2:0, which
would imply that all the hydrogen in the methane,
including that converted into intermediate com-
pounds like CH3 and CH2O, has been converted to
water vapor, and also that the H2 mixing ratio has not
changed significantly, at different heights? In other
words, a value of R ¼ 2:0 reflects a balance between
large production and loss rates for molecular hydro-
gen. Reaction [VII] above is the principal source of
additional H2 in the stratosphere. However, H2 can
also be destroyed in the stratosphere by a number of
reactions with OH, O(1D), and Cl. The reaction rates
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Figure 2 Airborne measurements (17–20 km altitude, 15–401N) of H2O and CH4 made in 1993. The results of four different flights are

shown, and the solid line is the result of a straight-line fit to all the data.
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for these are similar to those for reactions [I]–[III]. It is
thought that the balance of these formation and
destruction reactions forH2 is such that theH2mixing
ratio does not change much with height, at least from
the tropopause to 40 or 50 km, which is the domain of
our concerns here.

Thus, the ratioR ¼ �2:0 in those regions where the
oxidation of methane is rapid: it is less than R ¼ �2:0
(as low as R ¼ �1:6 has been suggested) in the lower
stratosphere, but this is where methane oxidation is
much slower, so that the precise value of the ratio is not
so important. If, in addition, as seems likely, the H2

profile is constant with height because production and
loss mechanisms are roughly in balance, then in
practice we would expect R ¼ �2:0 to hold virtually
everywhere where significant conversion fromCH4 to
H2O occurs. There appears to have been some
disagreement in the literature about the value of R,
but this has arisen largely over a misunderstanding of
the relative insignificance of methane oxidation near
the tropopause, where the ratio is formally less than
2.0, but where the effect on the measured profiles is
small.

The Total Hydrogen Content of the Stratosphere

Finally, in this section, we askwhat is the total amount
of hydrogen in the stratosphere? Ignoring the minor
species such as CH2O, OH, and so on, we address the
parameter c ¼ 2�CH4 þH2OþH2, which on the
basis of current theory should be constant, unless some
unknown significant sources or sinks exist. Estimates
of this quantity based on observations vary from�6:5
to �7:0 ppmv from satellite observations from the
Nimbus 7 (1979) and the ATMOS experiments (early
1980s), to 8.170.6 ppmv from aircraft measurements
between 151 and 401N, made in 1993. These obser-
vations were made at different epochs, and since there
is known to have been a long-term upward trend in
tropospheric methane, and an upward trend in
stratospheric water vapor (of about 1% year� 1)
between about 1980 and the present, it is possible
that these differences may be due to real changes.
However, the uncertainties due both to experimental
error and to variability and different sampling
are probably also large enough to account for
these differences. For the present we must adopt
a value of c ¼ 2�CH4 þH2OþH2 in the range
6.5 to 8.0 ppmv. More accurate measurements
are needed to distinguish a real change of the hydrogen
budget.

See also

Climate:Overview.Global Change: Upper Atmospheric
Change. Methane. Middle Atmosphere: Planetary
Waves; Quasi-Biennial Oscillation. Observations for
Chemistry (In Situ): Gas Chromatography; Resonance
Fluorescence; Water Vapor Sondes. Observations for
Chemistry (Remote Sensing): IR/FIR; Microwave. Sat-
ellite Remote Sensing: Water Vapor. Stratospheric
Water Vapor.
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Introduction

There has been a considerable desire to measure
concentrations of the hydroxyl radical (OH) in the
stratosphere over the last 30 years. The measurement
is extremely challenging, owing to the short lifetime of
OH and its minuscule concentration (typically less
than 1 part per trillion, ppt). A range of instrumenta-
tion has been developed, but despite considerable
expenditure of effort, knowledge of the distribution
and variability of OH is still limited. This article will
review the methods used to measure OH, and the
closely related hydroperoxy radical (HO2), the meas-
urement database ofOH in the stratosphere, and some
of the chemical insights gained from comparison with
model predictions. A number of experimental meth-
ods (both in situ and remote sensing) have been used to
determine stratospheric OH and HO2 for a range of
temporal and spatial scales using ground-based,
balloon, high-flying-aircraft, and satellite platforms.
As OH is involved in a very large number of
photochemical processes, one would expect the
concentration of OH to be highly variable, depending
on its local environment. However, in the lower
stratosphere, the converse is true: OH is remarkably
independent of all photochemical parameters
except the ozone slant column. A quantitative under-
standing of the HO2/OH ratio is important, since
many of the reactions that control this ratio are
involved directly in catalytic removal of O3 in the
lower stratosphere.

The Importance of OH in the
Stratosphere

No other species is more intimately involved in the
chemistry of the stratosphere thanOH, and hence OH
is the ideal target molecule for calculation by models.
The degree of agreement between observations and
model predictions is a powerful indicator of the
completeness of our understanding of the chemical
behavior of the stratosphere. Clearly, then, the most
useful OH data are those collected simultaneously
with concentrations of other closely coupled species
within the same air mass that can be used to constrain
the models.

The chemistry of HOx, a collective term for the
hydrogen radical family of H, OH, and HO2, is

considered in detail in another article (see Strato-
spheric Chemistry and Composition: HOx), and so
only a very brief treatment is given here. Production of
HOx (HOx�OHþHO2 for this article) in the strat-
osphere results from reaction of O(1D) with the
hydrogen source gases H2O, H2, and CH4, with
O(1D) generated predominantly from O3 photolysis.
As H2Omixing ratios increase and CH4mixing ratios
decrease with altitude in the stratosphere, the relative
importance of the O(1D)1H2O source increases with
increasing altitude. Loss processes for stratospheric
HOx involve the recombination of OH and HO2

radicals, either directly or through interactions with
NOx. The interconversion ofOHandHO2occurs on a
fast time scale compared with their rate of formation
and loss.

OH is extremely reactive; it acts as a scavenger by
reacting with virtually all trace species (in particular
those containing bonds to H atoms), and largely
defines the oxidizing capacity of the lower strato-
sphere. The reaction of OH with CO, CH4, SO2,
and the hydrogen-containing chlorofluorocarbons
(HCFCs) initiates the oxidation and hence removal
of these species in the stratosphere. OH and HO2

radicals react directly with ozone in a catalytic cycle
that dominates O3 destruction in the lower strato-
sphere (o20 km) and in the upper stratosphere and
mesosphere (445 km). OH is responsible also for the
coupling between the NOx and ClOx families. For
example, reactions of OH andHO2withNO2 convert
NOx into the less reactive reservoir compounds
HONO2 and HO2NO2, respectively, hence reducing
the effectiveness of O3 destruction. Reaction of
HO2 with NO alters the ratio of NO to NO2.
Reaction between OH and HCl to form Cl atoms is
the major reaction involved in the conversion of an
inactive form of inorganic chlorine to more reactive
forms, enhancing the degree to which chlorine can
destroy O3.

Techniques and Platforms for
Measuring OH and HO2 in the
Stratosphere

Of all measurements in the stratosphere, detection of
the OH radical has been the most elusive, and yet one
of the most important. A number of groups have
attempted to make estimates of OH globally using
satellite measurements of other molecules. Satellite
measurements of HNO3 and NO2 using limb IR
monitoring have been used to derive OH in the
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stratosphere by assuming photochemical equilibrium
in the production and loss of HNO3. Alternatively,
photochemical equilibrium can be assumed for the
sources and sinks of HOx and satellite measurements
ofO3,H2Ovapor, andother relevant species then used
to infer OH.

Techniques for detection of stratospheric OH (and
the closely related species HO2) can be divided into
two main categories, remote sensing methods and in
situ methods, and each is now considered in turn.
Table 1 summarizes the techniques for OH and HO2

detection, listing the platform used, the approximate
detection limit and accuracy or precision, the temporal
and vertical resolution, the working altitude range,
and the locations and/or names of field campaigns in
which the instruments have been deployed.

Remote Sensing Techniques for OH and HO2

Detection

Extensive vertical column measurements of OH from
the ground have been made using instruments based
on the fractional absorption of sunlight near 308 nm.
The instruments use spectrometers with extremely
high resolving power to measure high-resolution
atmospheric spectra. The data set extends over 20
years, and provides a good history covering a range of
seasons and solar zenith angles (SZA), but for a very
limited number of locations.The column is the integral
of OH number density along the vertical path and
hence gives no vertically resolved information. How-
ever, the tropospheric contribution to the column is
small (o5%), and the contribution above 60 km is
B45%, and so the slant column is weighted towards
stratospheric OH. The monthly average OH column
abundance above Fritz Peak,Colorado (401N), for the
period 1980–1990was stable to71%, and significant
diurnal and seasonal variations were established.
Between 1990 and 1995 the OH column during the
late summer and early fall decreased significantly
(15%), and was connected with the appearance of
Pinatubo aerosols at northern midlatitudes following
the eruption in 1991.AverageOHcolumnabundances
at 401 S, measured in New Zealand, were B20%
higher than those at 401N. Another ground-based
instrument, this time in the millimeter wave region,
hasmeasured a profile ofHO2 in themiddle and upper
stratosphere (435 km), detecting molecular rotation-
al emission lines. The lines are pressure-broadened,
and as the pressure depends upon altitude, the spectral
line shape can be deconvoluted to give a profile with
limited vertical resolution.

Submillimeter and far-infrared detection ofOH and
HO2 from balloon-borne platforms have been used to
measure vertical profiles of OH and HO2. These
instruments measure thermal emission spectra while

observing various angles above the earth’s limb (i.e., at
different slant columns) and are able to measure
vertical profiles and diurnal profiles for a given
altitude. These methods have reduced sensitivity in
the lower stratosphere because of water vapor ab-
sorption. The altitude of the balloon is usually fixed,
and a complex retrieval procedure is required to
generate altitude profiles. The average sampling lati-
tude for a given telescope pointing angle can be quite
different from that of the balloon itself. Laser-based
fluorescence measurements of OH have been per-
formed by the laser imaging, detection, and ranging
(lidar) technique, using a balloon-based instrument.
The results obtained are very limited, as the method
cannot calibrate the signal, and suffers from a large
solar scattered background, as the fluorescence is
collected by a telescope from the open atmosphere up
to several hundred meters from the balloon. Ground-
based lidars have been used to detect OH in the
mesosphere at altitudes from 75 to 85 km.

Stratospheric OH has also been observed from
space. Because of the large electronic cross-section of
OH in the near UV, the OH resonant fluorescence
emission can be detected by spacecraft-borne remote
sensing spectrometers. The Middle Atmosphere High
Resolution Spectrograph Investigation (MAHRSI)
instrument, deployed on the CRISTA-SPAS satellite
orbiting at 304 km, has been deployed and retrieved by
the space shuttle for missions lasting 8 days. Limb
scans of solar resonance fluorescence near 309 nm are
inverted to yield OH from B80 km down to 38 km
altitude. For several reasons, a complex data analysis
is required to generate an OH vertical profile. The
signal for a given field of vieworiginates fromdifferent
altitudes, the excited OH molecules are de-excited by
collisions with O2 and N2 (the rate of which is
therefore altitude dependent), and the OH fluores-
cence is absorbed by O3.

In-SituMethods

Remote sensing methods suffer from poor spatial and
vertical resolution, and require complex fitting rou-
tines to retrieveOHandHO2 concentrations. The first
attempt to measure OH in the atmosphere in situ
involved detection by solar-induced fluorescence using
a rocket-borne instrument, and yielded OH concen-
trations in the upper stratosphere and mesosphere
(45–70 km) under evening twilight conditions. The
first OHmeasurements in situ in the mid-stratosphere
(30–40 km) used the technique of resonance fluores-
cence (see Observations for Chemistry (In Situ):
Resonance Fluorescence), in which a radio-frequency
excited lamp generated light in the 308 nm region and
was used to excite fluorescence from OH at the same
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wavelength. The source and detector were mounted in
a pod that was suspended from a balloon on a
parachute generating a flow of clean air through the
excitation region. In order to remove ambient OH for
a background measurement chemical seeding was
used. The method suffered from a large background
because of Rayleigh scattering, and the altitude range
and time of day during which measurements were
made were limited. HO2 was also measured by this
technique following titration toOHby the addition of
NO. Previously only a single HO2 data point at 32 km
was available using matrix isolation/electron spin
resonance. Measurements of OH and HO2 (after
conversion to OH) down to 23 km were made in situ
by laser-induced fluorescence (LIF) from a balloon-
borne gondola during three summer flights from one
location. The LIF method is able to make exquisitely
sensitive and selective quantitative measurements of
OH. A high-pulse-repetition-rate laser system (cop-
per-vapor-pumped tunable dye laser) was used to
generate radiation at 282 nm, andused to exciteOHto
the first vibrationally excited level (v0 ¼ 1) of the
electronically excited A2Sþ state. At stratospheric
pressuresmost of the v0 ¼ 1 levels undergo vibrational
energy transfer to v0 ¼ 0, and fluorescence from this
level at 308 nm is collected by a photomultipler using
photon counting. As the wavelengths differ for laser
excitation and off-resonance fluorescence, scattered
light is enormously reduced. In contrast to the trop-
osphere, laser-generated interference from O3 pho-
tolysis at 282 nm to give O(1D) atoms, followed by
reaction with water vapor to generate OH, is not a
limiting factor, as the H2Omixing ratios are very low.
OH measurements in the troposphere using LIF have
lagged behind those made in the stratosphere, and an
alternative LIFmethod (knownas FAGE)with 308 nm
excitation has been developed.

The above methods provide useful snapshots that
allow comparisons with photochemical models, but
are necessarily limited in frequency and spatial cover-
age, and suffer from a lack of supporting measure-
ments of species that control the formation and loss
rates of HOx. The greatest single advance in the
understanding of stratospheric chemistry came with
the advent of instruments deployed aboard the NASA
ER-2 aircraft tomeasureOHandHO2 in combination
with their sources and sinks. Off-resonance fluores-
cence, excited using a solid-state, laser-pumped dye
laser, was able to detect OH down to 5� 104 mole-
cule cm� 3 (o0.01 ppt in the lower stratosphere) with
signal-to-noise ratios 430 achieved in o30 s averag-
ing time, up to altitudes of 21 km. The observed signal
was converted to absolute OH number densities using
laboratory and in-flight calibrations employing
Raman scattering and known concentrations of OH.

Once again, HO2 was detected following its conver-
sion to OH, with a similar sensitiviy. The instrument
has flown on a large number of missions (see Table 1)
covering a wide range of latitudes from the Arctic to
the Antarctic, and has provided comprehensive data
sets of OH and HO2 for comparison with the
calculations of a number of atmospheric models. The
models are constrained by supporting data from the
ER-2, providing a stringent test of our understanding
of lower-stratospheric chemistry. Although primarily
sampling air from the upper troposphere, another LIF
instrument aboard the NASA DC-8 aircraft has made
occasional measurements of both OH and HO2 in air
of lower-stratospheric origin.

Distribution of OH in the Stratosphere

There is still not a good picture of the diurnal,
seasonal, latitudinal, and altitudinal profile of OH or
HO2, because the measurements are challenging and
the instruments are deployed only for short periods. In
this section some of the measurements are highlighted
together with a comparison with model calculations.

Vertical Distributions of OH and HO2 in the Middle
and Upper Stratosphere

Volume mixing ratios obtained for OH from balloon-
borne instruments range from about 3 ppt near 25 km
to 400 ppt at 45 km, in reasonable agreement with
satellite measurements. For HO2, balloon-borne
measurements indicate mixing ratios of about 10 ppt
near 25 km, gradually increasing to 200 ppt near
45 km, again similar to the satellite measurements.
Figure 1 shows measurements of OH and HO2

obtained by a balloon-borne far-infrared Fourier
transform spectrometer, together with the altitude
profiles predicted by various models in which O3,
H2O, and CH4 were constrained by simultaneous
measurements, and adjustments made to the rate
coefficients of key reactions that control the budget
of HOx.

The increase in HOx mixing ratios with altitude is
explained by an increase in O(1D) concentrations and
hence the formation rate of OH via reactions of O(1D)
with H2O and CH4. In the upper stratosphere above
38 km (where HOx partitioning is no longer depend-
ent upon [NO]), OH and HO2 are modeled best if the
rate coefficient for the reaction O1HO2-OH1O2 is
reduced by 25% from the currently recommended
value. Above B40 km, catalytic cycles involving OH
and HO2 dominate photochemical loss of O3. Al-
though Figure 1 indicates generally good observation–
model agreement for balloon-borne measurements (to
within 10% for OH with the adjustment of certain
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kinetic parameters), the vertical distribution of OH
from 80km down to 38 km measured from satellites
cannot be fitted adequately by a single model. Typi-
cally observations are 30 to 40% lower than model
predictions, while observations of total column con-
centrations are up to 30%higher thanmodeled values.
During 80 orbits of OH measurements, the satellite-
based MAHRSI instrument on the space shuttle
obtainedB1200 daytime limb scans of OH emission,
and after retrieval of the data yieldedOHas a function
of altitude (50 to 80 km) and latitude (501N to 551 S).
As discussed below, aircraft observations suggest that
models of O3 chemistry in the lower stratosphere are
accurate, but models of the upper stratosphere and
lowermesosphere underpredict theO3 abundance (the
‘O3 deficit’). Analysis of the MAHRSI OH measure-
ments and coincident O3 observations from another
instrument suggest that the dominant portion of the
deficit is a consequence of the overestimation of OH.

Full diurnal measurements of OH for different
altitudes have also been recorded in the upper strat-
osphere for latitudes near 341Nusing a balloon-borne
far-infrared limb-observing spectrometer (FILOS).
The measurements, taken on five flights over 2 years,
were compared with a simple model that uses water
and ozone fields obtained from instruments on the
upper atmosphere research satellite (UARS). At 40 km
or above (pressures below3.2 hPa) the average ratio of
the observed to modeled OH concentration was
0.9670.08. The agreement over the OH diurnal
cycles for pressures between 3.2 and 21.5 hPa was
generally very good, becoming worse at lower alti-
tudes (e.g. 0.8770.24 at 10.0 hPa). The photochem-
ical model assumed production of OH through the
reactions of O(1D) with CH4 and water vapor, and
HOx destruction via the reactions of OH with HO2

and nitric acid (the latter converting HOx to NOx).
The OH measurements retrieved as a function of

Figure1 Vertical profile ofmeasured (pointswith error bars) andmodeled concentrations ofOHandHO2,HOx , and the ratioHO2/OHat

691N, 1491W on 30 April 1997, 09.15 local solar time. The measurements were made by a balloon-borne thermal emission far-infrared

Fourier transform spectrometer (FIRS-2). Themodel curves are constrained by simultaneous FIRS-2measurements of temperature, O3

and H2O, using selected kinetic parameters. Model A: Photochemical and chemical data from the 1997 JPL Panel Evaluation. Model B:

kOþHO2
decreasedby50%.ModelC: kOþOH decreasedby20%and kOHþHO2

increasedby30%.ModelD: kOþHO2
and kOHþHO2

both reduced

by25%. (Reproducedwith permission fromJucksKW, JohnsonDG,ChanceKVet al. (1998)Observations ofOH,HO2,H2OandO3 in the

upper stratosphere: implications for HOx photochemistry. Geophysical Research Letters 25: 3935–3938.)
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altitudewere used to calculate the diurnal variations of
the OH column density above 25 km, and were
compared with model-calculated column densities.
The agreement was good, except for just after sunset
when above 50–60 km OH is not likely to be in
photochemical equilibrium (the key assumption of the
model). A critical parameter used in the model is the
rate coefficient for the reactionOH1HO2 that has an
uncertainty at 250K of B50%, leading to a 22%
uncertainty in the modeled OH concentration.

Measurements in the Lower Stratosphere

Theballoon- and satellite-borne instruments provide a
general indication of how OH and HO2 change with
altitude in the stratosphere, but the datasets are limited
to altitudes above B25km, and in general do not
enable diurnal cycles to be measured with a high
temporal resolution. In addition, the balloon meas-
urements are above a single launch site (mostly
Palestine, Texas). Mixing ratios of OH and HO2 in
the lower stratosphere have been made with excellent
temporal resolution using the LIF instrument on the
NASAER-2 instrument. Extensivemeasurement cam-
paigns (see Table 1) under a wide dynamic range
of atmospheric conditions have obtained a nearly
pole-to-pole database (701 S to 901N) of HOx and
the species that control its chemistry in the lower
stratosphere.

OH is intimately involved in a large number of
chemical processes (for example, in the partitioning of
the nitrogen and halogen chemical families) and hence
it is expected that OH concentrations will show
considerable variability, depending upon the state of
the atmosphere (e.g. high vs. low latitudes, levels of
NOy). The suite of ER-2 measurements, however,
indicated the remarkable finding that OH is nearly
independent of all dynamical and photochemical
parameters except the O3 slant column, which is a
function of the SZA andO3 column above the aircraft.
OHconcentrations are themost predictable of the free
radicals in the lower stratosphere, enabling a param-
eterization with SZA to be made that can be used
extensively in modeling the lower stratosphere. HO2

displays considerably more variability.
During the 1993 SPADE (Stratospheric Photochem-

istry, Aerosols and Dynamics Expedition) ER-2 air-
craft campaign, the first simultaneous measurements
in situwere made of the species OH, HO2, NO, NO2,
ClO, and BrO that are responsible for catalytic
destruction of O3 at altitudes from 15 to 21 km and
midlatitudes from15 to601N.Throughout this region
of the atmosphere the measurements showed that
HOx catalysis, with the rate-limiting step being the
HO21O3-OH12O2 reaction, constituted 30–50%

of the total odd-oxygen loss. The measurements
demonstrated quantitatively the coupling that exists
between the radical families, with the coupled HO2/
ClO and HO2/BrO catalytic cycles (see Stratospheric
Chemistry and Composition: HOx) responsible for
50% of the halogen-controlled O3 removal and 15%
of the total odd oxygen loss rates. The vertical profile
of [OH] measured during the SPADE campaign
between 201N and 601N is shown in Figure 2. Except
for the dependence upon SZA and altitude, the OH
concentration is remarkably invariant in the lower
stratosphere, despite a significant change in the
concentration of O3 and NOy (such as HNO3) at
different latitudes.

The OH mixing ratio is nearly independent of the
concentration of NO, NO2, total NOy, O3, or H2O,
and is determined almost solely by solar flux. In
contrast, HO2 is more variable, and is driven directly
by atmospheric concentrations of O3, NO, and ClO.
The response of HOx to photochemical changes is
observed via the [HO2]/[OH] ratio.The dependence of
[HO2]/[OH]with [O3], [CO], [NO], [ClO], and [BrO]
is reproduced within 710% by a steady-state model

Figure 2 Vertical profiles of [OH] measured in situ between 201
and 601N latitude during the SPADE campaign. To account for

differences in solar illumination the data have been normalized to

301 solar zenith angle using the measured diurnal behavior.

Despite the large change in NOy levels observed for different

latitudes, there is little variation in [OH] for a given altitude. The

measurements were made by laser-induced fluorescence spec-

troscopy aboard the NASA ER-2 high-flying aircraft. (Reproduced

with permission fromWennberg PO, CohenRC, Stimpfle RM et al.

(1994) Removal of stratospheric O3 by radicals: in situ measure-

ments of OH, HO2, NO, NO2, ClO and BrO. Science 266:

398–404.)
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constrained by the measured mixing ratios of these
species. Hence the understanding of the chemistry that
partitionsOH andHO2 is complete and accurate. The
steady-state model assumes that the rate of intercon-
version of OH into HO2 and vice versa is much faster
than the production and loss of HOx. The precision of
the measurements showed that the uncertainties of
the rate coefficients for the HO21O3-OH12O2,
OH1O3-HO21O2, and HO21BrO-HOBr1O2

reactions was considerably less (by factor of 2 or so)
than described in recommendations.

Despite the excellent agreement for the [HO2]/[OH]
ratio, SPADE measurements of OH and HO2 at
midday wereB30% larger than predicted by models;
and at high SZA HOx concentrations were B3 times
larger. The higher than expected HOx implied the
existence of unknown sources throughout the day, and
therewas a striking and rapid onset ofOHandHO2 in
the early morning (Figure 3).

Initially it was thought that hydrolysis of peroxy-
nitric acid (HO2NO2) on sulfate aerosols produced
HONO that photolyzed to generate OH, but this was
later shown not to occur. The hydrolysis in sulfuric
acid of BrONO2 to form HOBr, followed by photoly-
sis of HOBr via a low-lying state near 500 nm, was
then postulated to generate the significant HOx at
sunrise.As shown inFigure 3, themodel can reproduce

the OH and HO2 measurements, including the unu-
sual behavior when the sun is near the horizon, but
only with the inclusion of heterogeneous chemistry.

High latitudes were sampled during the ASHOE/
MAESA (Airborne Southern Hemisphere Ozone Ex-
periment/Measurements for Assessing the Effects of
Stratospheric Aircraft) and POLARIS (Polar Ozone
Loss in the Arctic Region in Summer) campaigns,
where the ER-2 was deployed from Christchurch,
New Zealand, and Fairbanks, Alaska, respectively.
The aircraft payload included OH, HO2, NO, NO2,
NOy, ClO, H2O, O3, CH4, CO, HCl, pressure,
temperature, and spectrally resolved radiation fields.
Measurement of the SZA dependence of OH andHO2

provides insight into their sources. Figure 4 shows the
diurnal variations of OH from these campaigns for 17
to 21 km.

The measurement accuracy for OH is 725% (2s)
with an instrument precision of 71� 104 molecule
cm� 3 (1%) for 1min averaging. The diurnal change
of OH is controlled primarily by the production
of HOx from ozone photolysis followed by reaction
O(1D) with H2O or CH4, from HNO3 photolysis and
from CH2O photolysis to generate HCO 1 H, which
reacts with O2 to give HO2. Much of the variability
can be reproduced using parameterized photolysis
rates of O3 and CH2O. The interpretation of the

Figure3 Diurnal variationsof [OH] and [HO2] during theSPADEcampaignatB19 kmaltitudemeasured in situ from theER-2 aircraft on

11/12 May 1993 at 371N. The lines are various model simulations using photochemical and kinetic data from the 1992 JPL Panel

Evaluation, neglecting all heterogeneous processes (blue dotted line), including hydrolysis of N2O5 and ClNO3 (blue solid line), and also

including updated photochemical data for HNO3, O3 and heterogeneous production of HONO (red solid line); ppt5 parts per trillion.

(Reproduced with permission from Salawitch RJ, Wofsy SC,Wennberg PO et al. (1994) The diurnal variation of hydrogen, nitrogen, and

chlorine radicals: implication for the heterogeneous production of HNO2. Geophysical Research Letters 21: 2551–2554.)
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measurements of OH and HO2 at higher SZA (4701)
ismore difficult, andmeasurements ofOHandHO2 at
sunrise and sunset at high latitudes (an ideal location,
as the SZA is slowly varying) during POLARIS imply
the existence of unknown photolytic sources of HOx.
High SZA observations of HOx have demonstrated
that a source of HOx � 3�103 molecule cm�3 is
missing from the photochemical description of the
stratosphere. The wavelengths responsible for pro-
ducing this HOx must be longer than 650 nm, because
the flux at shorter wavelengths is significantly atten-
uated at high SZA by scattering and absorption.
Modeling and recent laboratory experiments suggest
that HO2NO2 can dissociate via excitation of over-
tone transitions to yield HOx. Figure 5 shows meas-
urements and model calculations for HO2 close to
sunrise and sunset during POLARIS, and shows the
importance of including heterogeneous reactions, and
also longer-wavelength photolysis of O3, HNO3, and
HO2NO2 in the calculation of HOx.

Only the very high precision and accuracy of the
HO2 measurements has allowed such a detailed
comparison with various models to be made. These
findings provide a graphic illustration of the power of
high-quality field measurements to improve our un-
derstanding of the detailed photochemistry of the
stratosphere.

Figure 4 Measurements in situ of [OH] obtained from the ER-2

LIF instrument during the ASHOE/MAESA (1994) and POLARIS

(1997) campaigns as a function of solar zenith angle. The data are

shownat 1min time intervals for the altitude range 17 to 21 km, and

the line is a fit to the data using a parameterized form of the

photolysis rates of O3 and CH2O. (Reproduced with permission

from Hanisco TF, Lanzendorf EJ, Wennberg PO et al. (2001)

Sources, sinks, and thedistributionofOH in the lower stratosphere.

Journal of Physical Chemistry A 105: 1543–1553.)

Figure 5 Dawn and dusk ER-2 measurements in situ and model calculations for [HO2] on 30 April 1997 and 9 May 1997 during the

POLARIScampaign.HO2wasmeasuredbyconversion toOHviaadditionofNOwithLIF detectionof theOH formed.Thecalculationsuse

rate coefficients and cross-sections from the 1997 JPL Panel Evaluation, and recently reported rate coefficients for the reactions of OH

with NO2 andHNO3. The various lines show the significant effect of including additional sources of HOx at high SZA to the predictions of a

basiccalculation (bluedashed line), includinghydrolysis ofBrONO2 (bluesolid line), additionof spin-forbiddenproductionofO(1D) fromO3

photolysis in the nearUV (red dashed line), excitation of overtonesof theOHstretch inHNO3 andHO2NO2 (red dotted line), and additional

photolysis of HO2NO2 at 800 nm (blue solid line, top). Only when all of these additional sources are included is there good agreement with

the measurements; pptv5parts per trillion, by volume. (Reproduced with permission from Wennberg PO, Salawitch RJ, Donaldson DJ

et al. (1999) Twilight observations suggest unknown sources of HOx . Geophysical Research Letters 26: 1373–1376.)

2192 STRATOSPHERIC CHEMISTRY AND COMPOSITION / Hydroxyl Radical



Further observations are necessary to illustrate the
response of HOx to changes in halogen concentra-
tions. The effect of chlorine or bromine partitioning
on HOx has not been studied in detail, but measure-
ments ofOH in theAntarcticwinter polar vortex show
that OH concentrations are highly variable and
strongly dependent upon chlorine partitioning. Other
perturbationswithin the vortex, such as denitrification
and decreased CH4, will affect the OH concentration.
The recent SOLVE (SAGE III Ozone Loss Validation
Experiment) campaign (winter 1999/2000) included
extensive OH and HO2 measurements at high lati-
tudes in the Arctic, including measurements in the
polar vortex, that should help to elucidate these
mechanisms. The measurements were made from
LIF instruments aboard the NASA ER-2 and DC-8
aircraft, with flights from Kiruna, Sweden. OH was
found to be sensitive to the albedo of low clouds and
distant high clouds.

See also

Observations for Chemistry (In Situ): Resonance Flu-
orescence. Stratospheric Chemistry and Composi-
tion: HOx; Hydrogen Budget. Tropospheric Chemistry
and Composition: Hydroxyl Radical.
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Introduction

Reactive nitrogen (NOy) plays important roles in
controlling the abundance of stratospheric ozone. In
this article, sources and sinks of NOy are first
described, together with the resulting NOy distribu-
tions. Then, the role of NOx, which is the most
reactive form of NOy, is explained. NOx destroys
catalytically stratospheric ozone and couples with
other radical mechanisms. Photochemical processes
controlling the relative abundance of component
species of NOy determine the NOx abundance. The
importance of heterogeneous reactions on sulfate
aerosol is described in comparison with gas phase
chemistry, typical for midlatitudes. In polar regions,
sunlit conditions are very different from those at
midlatitudes both in winter and summer. Behaviors of
NOx andNOy under these extreme conditions are also
explained.

NOy

Sources and Sinks

Reactive nitrogen in the stratosphere is comprised of
several component species: NO (nitric oxide), NO2

(nitrogen dioxide), NO3 (nitrogen trioxide), N2O5

(dinitrogen pentoxide), HNO3 (nitric acid), HO2NO2

(peroxynitric acid), ClONO2 (chlorine nitrate), and
BrONO2 (bromine nitrate). The sumof these species is
defined as total reactive nitrogen NOy. Namely,
NOy5NO1NO21NO312N2O51HNO31HO2NO21
ClONO21BrONO2. The reactions among NOy com-
ponent species do not lead to a net change in NOy

abundance.
N2O, which is produced by bacteria in soil and

released into the atmosphere, is the primary source of
stratospheric NOy. Since N2O is very stable in the
troposphere, it is transported into the stratosphere,
mainly through the tropical tropopause. In the 1990s,
the tropospheric concentration of N2O was about
310 ppbv and increased at about 0.25%y�1 over the
1978–96 period, due to imbalance between the global
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sources and sinks of N2O. The stratosphere is a net
photochemical source of NOy and a net photochemi-
cal sink of N2O. About 90 percent of the total loss of
N2O in the stratosphere occurs via its photolysis by
ultraviolet radiation yielding N2 and excited atomic
oxygen (O(1D)), which does not lead to NO produc-
tion.

N2Oþ hn ! N2 þOð1DÞ

ðlo230 nm : l is thewavelengthÞ
½R1�

Reactions with O(1D) are responsible for 10% loss of
N2O.

N2OþOð1DÞ ! N2 þO2 ð42%Þ ½R2a�

N2OþOð1DÞ ! 2NO ð58%Þ ½R2b�
where O(1D) is produced primarily by the photolysis
of ozone at lo325 nm. Reactions [R1] and [R2] occur
in the middle and upper stratosphere (at 35–45 km),
mainly in the tropics where the intensity of the solar
ultraviolet radiation is greatest, as shown in Figure 1.

NOy is produced primarily via reaction [R2b].
Downward transport from the mesosphere and
thermosphere, where NO is produced by solar
radiation and auroral ionization, can provide an
additional NOy input to the upper stratosphere.
Production of NO by lightning associated with
upward transport through the tropical tropopause
may be an additional NOy source in the lower
stratosphere at low latitudes, although its magnitude

is poorly understood. Supersonic aircraft flying at
much higher altitudes than subsonic aircraft injects
NOmolecules directly into the stratosphere.However,
NO emissions from the currently operational Con-
cordes are much smaller than the natural sources.
There is also some emission, directly into the strato-
sphere, by long haul subsonic passenger aircraft,
especially on flights routed over high latitudes. The
net loss of NOy occurs in the upper stratosphere and
lower mesosphere, where NO is reduced into N2 via
the following reaction:

NþNO ! N2 þO ½R3�
N is produced by the photolysis of NO by ultraviolet
radiation. NOy is also lost through transport of NOy

down to the troposphere where HNO3 dissolves in
water droplets and is removed from the atmosphere by
precipitation.

Distribution of NOy

Remote spectroscopic measurements by the Atmo-
spheric Trace Molecule Spectroscopy (ATMOS) and
Mk IV instruments from the Jet Propulsion Labora-
tory on board the space shuttle and balloons, in situ
measurements on board the NASA ER-2 aircraft, and
balloon experiments, in addition to many other
measurements, have provided extensive data on the
distributions ofNOy species, together withN2O.NOy

mixing ratios obtained by these measurements
increase with altitude from the tropopause up to
about 35 km, where values peak at about 18 ppbv
(parts per billion by volume) at midlatitudes as shown
in Figure 2. This increase is due to an increase in the
NOy production via reaction [R2b] and to NOy loss
through the tropopause. In contrast, N2O mixing
ratios decrease with altitude due to reactions [R1] and
[R2] as shown in Figure 2. The NOy mixing ratio
decreases with altitude above 35 km due to NOy loss
by reaction [R3] and a decrease in theNOy production
rate at low N2O mixing ratios. In the lower strato-
sphere, reaction [R3] is very slow and the lifetime of
NOy defined by this loss process is longer than 10
years.

Given the increase (decrease) of the NOy (N2O)
mixing ratios with altitude up to 35 km, NOy is
anticorrelated with N2O for N2O values larger than
120 ppbv, as shown in Figures 3 and 4. The relation-
ship between NOy and N2O obtained by measure-
ments on board the ER-2 in the lower stratosphere is
expressed as

½NOy� � ½NOy�0 ¼ 0:07ð½N2O�0 � ½N2O�Þ ½1�
Here [NOy] and [N2O] are the mixing ratios of NOy

andN2O in ppbv. [NOy]0 and [N2O]0 are values at the
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tropical tropopause, which are 0.25 and 310 ppbv,
respectively. This relationship indicates that the
increase in NOy is proportional to the decrease in
N2O with a constant slope of � 0.07. Namely, 3.5%
of N2O molecules lost via reactions [R1]–[R3] are
converted to NOy. In contrast, the NOy mixing ratio

decreases along with the decrease in the N2O mixing
ratio above 35 km where the N2O values are lower
than40 ppbv, leading to a positive correlationbetween
NOy and N2O as shown in Figure 3.

Due to its long lifetime,NOy producedmainly in the
tropical upper stratosphere is transported to higher
latitudes and lower altitudes. This large-scale trans-
port process is known as the Brewer–Dobson circula-
tion. All long-lived trace gases, including ozone, N2O,
and CH4, are subject to this transport. As a
consequence, the NOy (N2O) mixing ratios in the
lower stratosphere are higher (lower) at higher
latitudes, as can be seen from Figure 4. In general,
compact correlations have been observed between
long-lived specieswhose local photochemical lifetimes
exceed the time scales for atmospheric transport as
predicted theoretically. The NOy–N2O correlation
shown in Figures 3 and 4 is consistently compact,
especially in the lower stratosphere, where the N2O
mixing ratios are higher than 120 ppbv. This correla-
tion has proved to be very useful in predicting NOy
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abundances from observed N2O mixing ratios as
described below.

Gas Phase Chemistry

Role of NOx

A scheme showing important reactions controlling the
level of each reactive nitrogen species is shown in
Figure 5. Altitude profiles of NOy species observed
by Mk IV at 351N in September 1993 are shown in
Figure 6. The time constants for the photolysis of NOy

species for local noon at 441NinOctober are shown in
Figure 7. NO and NO2 are the most reactive among
NOy species. NO is oxidized to NO2 by ozone and
NO2 is photolyzed by visible sunlight to reform NO
and atomic oxygen (O).

NOþO3 ! NO2 þO2 ½R4�

NO2 þ hn ! NOþO ðlo420 nmÞ ½R5�
NO and NO2 are often treated as a sum, defined as
NOx , because the time required for the exchange
between NO and NO2 during daytime is about 1min
(Figure 7).

NOx plays important roles in controlling strato-
spheric ozone. First, NOx destroys ozone catalytically
via the following reactions:

NOþO3 ! NO2 þO2 ½R4�

NO2 þO ! NOþO2 ½R6�

Net : O3 þO ! 2O2

The cycle is catalytic since NOx is conserved: NO and
NO2 are simply interchanged. Reaction [R6] is rate
determining for the catalytic cycle since reaction [R4]

proceeds faster than reaction [R6] in the stratosphere.
The ozone loss rate is therefore proportional to the
product of theNO2andOconcentrations ([NO2][O]).
Reactions analogous to [R4] and [R6] also represent
catalytic ozone loss cycles by reactive hydrogen
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Figure 5 Schematic of the reaction pathways between the

principal NOy component species in the lower stratosphere.

Photolysis reactions are indicated by hn. ‘Sulfate aerosol’ denotes

heterogeneous reactions on sulfuric acid aerosol particles.

(Reproduced with permission from Gao et al. (1999).)
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(HOx), chlorine (ClOx), and bromine (BrOx) species if
NO is replaced with OH, Cl, and Br, respectively.
Similar to the NOx catalytic cycle, the rate-
determining reaction for the HOx, ClOx, and BrOx

cycles are

XOþO ! XþO2 ½R7�
whereX isOH,Cl, or Br, respectively.Ozone loss rates
are therefore proportional to the product of the
concentrations of XO and O ([XO][O]).

Secondly, NOx buffers the ozone loss by HOx ,
ClOx , and BrOx by converting OH, ClO, and BrO
into HNO3, ClONO2, and BrONO2, which do
not destroy the ozone directly, via the following

reactions:

NO2 þOHþM ! HNO3 þM ½R8�

NO2 þ ClOþM ! ClONO2 þM ½R9�

NO2 þ BrOþM ! BrONO2 þM ½R10�
Here, the third body M represents the major atmo-
spheric molecules N2 and O2. Hence, the relative
importance of catalytic loss cycles of ozone by HOx ,
ClOx , and BrOx is strongly dependent upon the NOx

abundance.
NOx buffers HOx and ClOx catalytic cycles also by

the following interchange reactions:

NOþHO2 ! NO2 þOH ½R11�

NOþ ClO ! NO2 þ Cl ½R12�
Reactions [R11] and [R12] decrease theHO2 andClO
levels, respectively, by shifting the HO2/OH and ClO/
Cl ratios. The reductions in HO2 and ClO lead to
decreases in ozone loss rates, which are proportional
to [HO2][O] and [ClO][O], as mentioned above. On
the other hand, these reactions increase the NO2/NO
ratio, enhancing the ozone loss rate by the NOx cycle.
Profiles of the ozone loss rates by the NOx, HOx ,
ClOx , and BrOx cycles at 351N in September are
shown in Figure 8.

Oxidation of NOx

NOx levels are also controlled by chemical processes
that lead to the production and loss ofNOx as detailed
below. NOx produced by reaction [R2b] is converted
to higher oxides of nitrogen (N2O5, HNO3,
HO2NO2, ClONO2, BrONO2). Since these NOy

species do not react directly with ozone but produce
NOx by photolysis and reactions with OH, they are
called reservoir NOy species. N2O5 is produced

through the following reactions:

NO2 þO3 ! NO3 þO2 ½R13�

NO2 þNO3 þM ! N2O5 þM ½R14�
Reaction [R13] is rate determining for the formation
of N2O5, which occurs only during nighttime
since NO3 is photolyzed within a few seconds
by visible radiation (lo670 nm) during daytime
(Figure 7).

Other reservoir NOy species are produced via
reactions [R8]–[R10] and the following reaction:

NO2 þHO2 þM ! HO2NO2 þM ½R15�
Conversely, NOx is produced by decomposition of
reservoir species, such as

HNO3 þOH ! NO3 þH2O ½R16�

HNO3 þ hn ! OHþNO2 ðlo310 nmÞ ½R17�

N2O5 þ hn ! NO2 þNO3 ðlo360nmÞ ½R18�

ClONO2 þ hn ! ClþNO3 ðlo380 nmÞ ½R19a�

ClONO2 þ hn ! ClOþNO2 ½R19b�
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BrONO2 þ hn ! BrþNO3 ðlo500 nmÞ ½R20�

HO2NO2 þ hn ! HO2 þNO2

ðlo325 nmÞ
½R21a�

HO2NO2 þ hn ! OHþNO3 ½R21b�

HO2NO2 þOH ! NO2 þO2 þH2O ½R22�

Here the photolysis wavelength thresholds are
given for absorption cross-section limits of about
1� 10–21 cm2.

Typical lifetimes of N2O5 and HNO3 in the lower
stratosphere as determined by the above decomposi-
tion processes are several hours and 1 week, respec-
tively, for noontime midlatitude fall conditions, as
shown in Figure 7. Below 25km, HNO3 is the
dominant NOy species since NOx is oxidized to form
HNO3 via the three-body reaction [R8], which
proceeds faster at lower altitude (higher pressure) as
shown inFigure 6. At higher altitudes,NOx dominates
among the NOy species due to enhanced NOx

production by reactions [R17]–[R19]. The 2�N2O5

mixing ratio at sunrise becomes comparable toNOx in
the lower stratosphere. The ClONO2 mixing ratio
shows a broad peak of about 1 ppbv centered around
25km.

Diurnal and Seasonal Variations at Midlatitudes

NOy species undergo temporal variations depending
on their chemical lifetimes as shown in Figure 9. NO is
oxidized toNO2within a fewminutes after sunset and
NOx exists in the form of NO2 during nighttime. Part
of the NO2 is photolyzed to produce NO soon after
sunrise. Due to the formation of N2O5 during the
nighttime and photolysis during the daytime, N2O5

mixing ratios reachmaximum andminimum values at
sunrise and sunset, respectively, as is partly shown by
Mk IV observations (Figure 6). Corresponding to the
diurnal variation ofN2O5,NOx shows a slow increase
in the morning reaching a maximum value at sunset,
when it starts to decrease again until sunrise. In
contrast, HNO3 does not undergo significant diurnal
variation since the lifetime ofHNO3 is about aweek as
described above. Both N2O5 and HNO3 levels
respond to the seasonal variations of solar elevation
and sunlit hours. The HNO3/NOy and N2O5/NOy

ratios at midlatitudes reach minimum values at
summer solstice due to the largest rates of reactions
[R17] and [R18]. Similarly, they reach maximum
values near the winter solstice. The NOx mixing ratio
and NOx/NOy ratio show almost sinusoidal seasonal
variations reaching maximum andminimum values at

summer andwinter solstices, respectively, as shown by
ground-based and satellite remote sensing observa-
tions.

Heterogeneous Chemistry

Sulfate aerosol composed of liquid sulfuric acid
(H2SO4) is ubiquitous in the lower stratosphere from
the tropics to the polar regions. H2SO4 in the strato-
sphere is produced through oxidation of sulfur-
containing gases transported from the troposphere
mostly in the form of carbonyl sulfide (OCS). In
addition to the gas phase chemistry described above,
the partitioning of NOy is also controlled by the
heterogeneous reactions on sulfate aerosols listed
below:

N2O5ðgÞ þH2OðaÞ ! 2HNO3ðgÞ ½R23�

ClONO2ðgÞ þH2OðaÞ ! HOClðgÞ
þHNO3ðgÞ

½R24�

ClONO2ðgÞ þHClðaÞ ! Cl2ðgÞ þHNO3ðgÞ ½R25�

BrONO2ðgÞ þH2OðaÞ ! HOBrðgÞ
þHNO3ðgÞ

½R26�

Here (g) and (a) denote species in gas phase and in
aerosol, respectively.

Reaction [R23] occurs with a reaction probability
of 0.1, weakly dependent on the composition
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of aerosols, temperature, and particle size. On the
other hand, the effects of reactions [R24] and
[R25] are important only at very low temperatures
in high-latitude winter (temperature o210K).
Reaction [R26] is fast, but its impact on nitrogen
species partitioning in the stratosphere is smaller than
that due to reaction [R23] because of the smaller
bromine content (B10 pptv (parts per trillion by
volume)).

These reactions, especially reaction [R23], convert
shorter-lived reservoir N2O5, ClONO2, and BrONO2

into longer-livedHNO3, even at lowandmidlatitudes.
They lengthen the time required to regenerateNOx via
reactions [R18]–[R20], resulting in an effective
decrease in the NOx levels (Figure 5). In addition,
reaction [R23] oxidizes NOx without consuming
OH, resulting in a higher OH level. The higher
OH abundance accelerates reaction [R8] causing
further reduction in NOx. The reduction of the
NOx/NOy ratio in a stratospheric model due to the
effect of heterogeneous reactions is shown in
Figure 10.

The reduction of the NOx level by heterogeneous
reactions leads to increases in the HOx, ClOx , and
BrOx levels because of the slower reaction rates of
reactions [R8]–[R10] at lower NOx concentrations.
The reduction of the NOx level by heterogeneous
reactions leads to increases in the HOx, ClOx , and
BrOx levels because of the slower reaction rates of

reactions [R8]–[R10] at lower NOx concentrations.
The nonlinear dependence of ozone loss rates onHOx,
halogen (ClOx and BrOx), and NOx abundances are
shown in Figure 11. At the lowest NOx levels (left
dotted lines in Figure 11), ozone loss rates increase due
to increased abundances of HOx and halogen species
that result from the lowering of NOx in an air parcel.
Typical values at midlatitudes (right dotted lines in
Figure 11) are near the mid-range NOx values where
ozone loss rates have low sensitivity to the abundance
of NOx.

The effect of heterogeneous reactions on NOx and
ozone is enhanced by volcanic eruptions. Associated
with large volcanic eruptions, significant amounts of
SO2 are injected into the stratosphere. The injected
SO2 is oxidized to H2SO4, which forms subsequently
sulfuric acid aerosols within a short time. Mount
Pinatubo in the Philippines erupted in June 1991 and
the aerosol loading increased by up to a factor of 100
over background values. The aerosol loading
remained high for a few years with a gradual decrease
with time. Corresponding to this enhanced aerosol
loading, significant reductions in NOx were observed
as shown in Figure 10. It should be noted that the rate
of reaction [R23] at large aerosol surface area is
limited by the formation rate of N2O5 [R13] during
the nighttime. Therefore the decrease in NOx by
reaction [R23] saturates eventually at a certain surface
area, depending on photochemical conditions. The
reduction in NOx caused the decrease in the ozone
levels as observed by a variety of in situ and remote
sensing measurements, providing evidence of the
effect of heterogeneous reactions on stratospheric
chemistry.
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Polar NOx and NOy

Winter

Both NOx mixing ratios and NOx/NOy ratios have
been observed to decrease sharply at latitudes higher
than 50–601 in winter and early spring as shown in
Figure 12. This large and sharp decrease in NOx is
caused by the large reduction of sunlight in high-
latitudewinter,which reduces greatly the formation of
NOx from NOy reservoir species. N2O5 produced in
the dark stratosphere is converted effectively toHNO3

via reaction [R23] before being photolyzed. There-
fore, HNO3 dominates among the NOy species in
high-latitude winter.

The temperature in the Antarctic and Arctic lower
stratosphere decreases to as low as 190–185K by
midwinter in the absence of solar heating. Under these
very low temperatures, HNO3 co-condenses with
H2O and/or H2SO4 to form polar stratospheric cloud
(PSC) particles. These particles provide sites for
heterogeneous reactions, such as reactions [R24] and
[R25], which convert unreactive inorganic chlorine
species into reactive chlorine very efficiently. The

reactive chlorine destroys the ozone rapidly when
exposed to sunlight. In addition, a polar vortex with
westerly winds forms as the high-latitude stratosphere
cools each winter season. The polar vortex isolates
partially high-latitude stratospheric air from midlati-
tude air. Extensive ozone depletion inside the vortex in
early spring over the Antarctic is well known as the
Ozone Hole. Similar processes occur during the cold
Arctic winters, although the temperatures in the
Arctic are much warmer and show larger year-to-
year variations. In this way, HNO3 contributes to
ozone destruction through the formation of PSC
particles.

With the reappearance of the Sun in early spring,
NO2 is produced from HNO3 by reactions [R16]
and [R17]. NO2 deactivates reactive chlorine and
bromine by reactions [R9] and [R10]. This
process decelerates effectively the ozone destruction
by halogen radicals after the formation of PSCs
ceases in spring when the temperature rises above
the PSC formation threshold. However, spring HNO3

levels, and therefore NO2 levels, are often much lower
than in late fall or early winter for the following
reason. HNO3-containing PSC particles in the crystal-
line form sometimes grow to larger than 10 mm in
radius under continued very low temperatures in
midwinter. These particles fall out of the stratosphere
in a few to several days, leading to permanent removal
of NOy. This NOy loss process, called denitrification,
lowers the level of HNO3, resulting in a delay in the
deactivation of chlorine and extending the period of
ozone depletion throughout the winter and early
spring.

Denitrification has been detected as deviations of
the NOy values from those anticipated from the
reference NOy–N2O correlation observed prior to
denitrification in late fall as shown in Figure 13.
Equation [1] represents a good reference for N2O
higher than 120 ppbv. Extensive denitrification occurs
in the Antarctic winter, when temperatures fall
persistently below even the ice saturation threshold.
The temperature in the Arctic in winter is somewhat
higher and much more variable than in the Antarctic,
as described above, resulting in less extensive
denitrification. Falling PSC particles evaporate if
they experience temperatures higher than the
HNO3–H2O condensation threshold temperature.
This leads to local enhancement in NOy over the
background value as has been observed at 12–15 km in
the Arctic.

Summer

During the summer, large regions of the polar strato-
sphere receive uninterrupted sunlight formanyweeks.
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Under these conditions, daily N2O5 production via
reactions [R13]–[R14] ceases abruptly with the onset
of continuous photolysis in high-latitude air masses,
because NO3, the intermediate in its formation, is
photolyzed rapidly, thereby preventing N2O5 forma-
tion. Depletion of N2O5 shuts off the hydrolysis of
N2O5 in the heterogeneous reaction [R23]. In addi-
tion, the photolysis of HNO3 is augmented by
continuous sunlight. The NOy family simplifies to a
near ‘gas-phase-only’ system in summer air masses
because the NOx/HNO3 ratios become primarily
controlled by reactions [R8], [R16], and [R17].
Due to these conditions, the NOx/NOy ratios at 18–
20 km observed by the ER-2 aircraft in polar summer
reach as high as 0.25, which are much higher than
those at lower latitudes. It is noted that gas phase
models predict NOx/NOy ratios close to those
observed in polar summer even for midlatitude near
equinox (Figure 10), thereby demonstrating the
importance of reaction [R23] in determining the
NOx levels in the lower stratosphere. High NOx

abundances in polar summer have also been ob-
served by satellite and ground-based spectroscopic
measurements.

The measurements by the ER-2 aircraft of
related radicals have shown the predominance
of the NOx catalytic ozone loss cycle over the
HOx , ClOx, and BrOx cycles in polar summer
under high NOx, as can be understood by the
diagram of Figure 11. Total ozone loss rates
calculated using aircraft data are as high as 10–20%
per month at 18–20 km at 60–901N in June. This
ozone loss rate is consistent with that observed by
satellites.

See also

Aerosols:Physics andChemistry of Aerosols.Chemistry
of the Atmosphere: Gas Phase Reactions. Middle
Atmosphere: Polar Vortex; Transport Circulation.
Ozone: Ozone Depletion; Photochemistry of Ozone.
Stratospheric Chemistry and Composition: HOx;
Halogens; Hydroxyl Radical; Overview.
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Introduction

The phenomenon of depletion of the stratospheric
ozone layer by human-produced chemicals has been
dealt with in other parts of this Encyclopedia (see
Ozone: Ozone Depletion Potentials; Ozone as a UV
Filter; Photochemistry of Ozone; Role in Climate;
Surface Ozone (Human Health); Surface Ozone
Effects on Vegetation). We here deal with the realities
of recovery of the ozone layer – the reasoning behind
the predictions that the ozone layer will in fact recover
to a state not necessarily exactly as it was prior to
about 1980 (when the effects of ozone depletion
emerged) but to a state in which the threat of harmful
ultraviolet radiation increases is no longer an envi-
ronmental concern.

The subject of the recovery of the stratospheric
ozone layer was dealt with in the WMO/UNEP
Scientific Assessment of Ozone Depletion: 1998. The
reader is referred to Chapter 12 of that document (see
Further Reading) for a detailed discussion of why
recovery is expected, the models used to predict the
recovery and the conclusions related to when the
recovery is expected to be observed. These results will
be summarized here and the measurements related to
recovery of the ozone layer will be updated.

As indicated elsewhere, ozone loss in the polar
regions during spring is much more severe than the
reduction that has occurred at midlatitudes since
about 1980. This is related mainly to the fact that in
order for chemical ozone destruction to proceed
rapidly, the presence of surfaces for heterogeneous
chemistry are required. In most of the global strato-
sphere, surfaces – as presented by particles – are
sparse; however, in the polar stratospheres, winter
temperatures are adequately low to condense the small
amounts of water vapor and nitric acid vapor, forming
polar stratospheric clouds (PSCs). Conditions for
rapid ozone depletion occur in association with these

clouds and the onset of springtime sunlight following
cloud formation during the dark winter.

Following discovery of the Antarctic ozone hole in
1985, expeditions to Antarctica in 1986 and 1987 to
determine the cause of the springtime ozone depletion
resulted in considerable public awareness of the
phenomenon. Even now, each austral spring (Septem-
ber–October) finds the Antarctic ozone hole in the
news, with reports that either it was ‘not as bad’ as last
year or that ‘it was worse than last year’. In addition,
recent expeditions to study Arctic ozone loss have
indicated the likelihood of major ozone loss in some
Arctic springs. These events have resulted in consid-
erable confusion concerning the eventual expected
outcome of this phenomenon. In actuality, the year-to-
year fluctuations in the severity of the ozone hole have
been small in recent years, as can be seen in Figure 1,
where the total columnozone asmeasured at the South
Pole during the latter half of October is shown.
Adequate sunlight for measurements with the Dobson
ozone spectrophotometer is available only after mid-
October at the South Pole. The years 1988 and 2000
were exceptions. In those years the polar vortex, in
which the winter–spring ozone depletion process is
confined, broke up earlier than usual, resulting in less
ozone loss when averaged over the October period.
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Although the Arctic stratosphere does not get as
cold in winter as does the Antarctic stratosphere,
recent springtime breakup of the polar vortex has been
delayed in some years. With the presence of PSCs
during sunlit hours, Arctic ozone depletion has
become more severe. Data from satellite measure-
ments in the Arctic, shown in Figure 2, indicate major
ozone losses in recent years, but with a considerable
interannual variability. The future of Arctic ozone
depletion will depend on a number of factors, includ-
ing climate change. A predicted colder stratosphere
could increase the occurrence of PSCs and tend to
stabilize the polar vortex.

At midlatitudes, large ozone fluctuations related to
transport from the tropics make detection of themuch
smaller ozone losses observed theremore difficult than
in the polar regions. Since PSCs do not form at these
latitudes, chemical ozone loss depends on the surface
area present in the form of stratospheric aerosol
particles. Followingmajor volcanic eruptions, sulfuric
acid aerosol droplets become important in the hetero-
geneous chemical process that leads to the enhanced
destruction of ozone.Figure 3demonstrates the degree
of ozone loss experienced across midlatitudes of the
United States and shows how the fluctuations related
to transport rival the losses experienced since 1980.
Enhancement in ozone loss in 1992–93 is believed to
be related to stratospheric aerosol deposited by the
eruption of Pinatubo in June 1991.

Since the last ozone assessment in 1998, consider-
able attention has been given to the role of meteoro-
logical variability in ozone trends. While it is likely
that a portion of the downward trend in midlatitude
ozone is related to changes in transport, themagnitude
of such an effect is not known at this time. In addition,
current models are not able to capture the past trends
in dynamical transport and thus are not expected to be
able to predict future trends. The next ozone assess-

ment, due in the year 2002, will likely consider this
component of the variability in more detail.

Global measurements of the chlorine- and bromine-
bearing gases believed responsible for most of the
ozone depletion are shown in Figure 4. These data
indicate that the combined effective equivalent chlo-
rine (EECl) concentration (all chlorine- and bromine-
bearing molecules are combined by multiplying bro-
mine by 50 owing to its higher reactivity) peaked near
the surface in 1994 and was expected to peak in the
stratosphere 3–5 years later. Satellite remote sensing
measurements of chlorine-containing molecules, de-
rived from human-produced halocarbons, indicate
that the concentration of total chlorine reached a
maximum in the stratosphere in 1997. Thus there is no
reason to expect the Antarctic ozone hole or global
ozone depletion to become any worse than at present.
Model results suggest that there will be a period of
twenty or so years in which stratospheric EECl will
decline only slowly and then, following phase-out of
CFC replacements (such asHCFCs), will decline more
rapidly. Recovery of the ozone layer to pre-1980 levels
is not expected until the middle of the twentyfirst
century. Model predictions of climate change will
delay ozone recovery, especially in the Arctic where a
cooler stratosphere would exacerbate ozone deple-
tion. Major volcanic eruptions, which supply aerosol
particles to the stratosphere, aid the heterogeneous
chemistry of halogen ozone loss and will cause a delay
in ozone recovery. Will ozone-friendly replacements
for the chlorine and bromine compounds be available
by 2020? Clearly, the road to recovery will not be
smooth, but it appears that the remedy has been found
and it is likely that the phenomenon of stratospheric
ozone depletionwill not get anyworse than at present.
But will the ozone layer recover to its former healthy
state, and how long will that take?
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Ozone Recovery Defined

As in the WMO assessment already cited, the begin-
ning of ozone layer recovery is defined as ameasurable
increase in ozone toward pre-1980 values. While it is
important to note the cessation in the worsening of
ozone depletion, which appears to be occurring at the
present time, recovery suggests some progress toward
a return to previous conditions. Thus the detection of
such a recovery is complicated by the requirement to
detect a statistically significant ozone increase, above
natural variability, that is occurring slowly over a long
period of time. Measurement stability and compara-
bility between multiple instruments over a twenty-
year or longer period will thus be required to actually
detect recovery. These observations will be further
confused by occasional volcanic eruptions that will
cause ozone depletion to increase for 2–3 years during
which the aerosol particles from the eruption slowly
fall out of the stratosphere. However, observation of

ozone recovery is important because it will show that
the implementation of regulations on ozone-depleting
substances, established by the Montreal Protocol and
its amendments, was an effective course to follow.

Modeling Ozone Recovery

Efforts to predict the future levels of stratospheric
ozone include two-dimensional (2D) chemical mod-
els, in which vertical and latitudinal ozone variations
are predicted; three-dimensional chemical transport
models, with dynamic circulation determined by
meteorological analyses, and full three-dimensional
(3D) general circulation models (GCMs) that include
detailed ozone chemistry. These last, requiring major
computer resources, have only recently found appli-
cations in the ozone prediction area.

In theWMO/UNEP Scientific Assessment of Ozone
Depletion: 1998, 2D models from ten modeling
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groups were compared. These models typically have
resolutions of 5–10 degrees of latitude and 1–2 km of
altitude. While gas-phase chemistry is similar in the
models, heterogeneous chemistry involving reactions
on the surfaces of aerosol particles at low temperatures
was represented at varying levels of sophistication. All
models used the same reactive halogen distributions as
observed up to 1998 and as predicted assuming that
the amendedMontreal Protocol will be followed. This
includes future regulation of the CFC replacements.
Figure 5 shows the time history of effective equivalent
chlorine (EECl, defined earlier) which was used in the
models. This scenario predicts that stratospheric
equivalent chlorine will reach 2 parts per billion
(ppb), the level at which Antarctic ozone depletion
became clearly detectable, in about the year 2050.

Figure 6 shows the average and standard deviation
of the predictions of the ten 2D models of global
(651 S–651N) ozone loss compared to Total Ozone
Mapping Spectrometer satellite measurements. The
agreement with measurements is remarkably good.
The ozone reduction observed and predicted in about
1992 was related to the Pinatubo volcanic eruption in
the Philippine Islands in June 1991. The additional
particle surface area deposited in the stratosphere by
the eruption exacerbated ozone depletion for one to
two years. The model results predict that clear
observation of the beginning of recovery of the ozone
layer will not be possible until after the year 2020 and
that stratospheric ozonewill not reach pre-1980 levels
till beyond the year 2050.Changes in dynamics such as
might have occurred in the past and may occur in the
future, for example as related to climate change, are
not included or captured in these models.

Three-dimensional general circulation models with
relatively simple ozone chemistry have been utilized to
predict recovery of polar ozone because they are able
to generate a realistic winter polar wind system (polar

vortex) with stratospheric cloud processes that result
inmajor ozone depletion.NASAGoddard Institute for
Space Studies (GISS) 3Dmodel results, reported in the
1998 Ozone Assessment, used scenarios of future
greenhouse gas (carbon dioxide, methane and nitrous
oxide) emissions from the 1995 Intergovernmental
Panel on Climate Change report and thus include
effects on the ozone layer related to climate change. In
Figure 7 the GISS model results are compared to
TOMS springtime observations for the Antarctic
(ozone averages south of 651 S) and the Arctic (ozone
averages north of 651N). The model predicts Arctic
ozone depletions rivaling those observed in Antarctica
in some years with a large degree of interannual
variability. As in the case of the 2D models for global
ozone recovery, this model predicts that recovery of
the polar ozone layers will not be complete till the
2050 time frame.

All themodels depend on halogen levels declining as
prescribed by the amended Montreal Protocol. This
includes future replacement of presently unregulated

1960 1980 2000 2020 2040 2060

E
qu

iv
al

en
t c

hl
or

in
e,

 E
E

C
l (

pp
b)

1

2

3

4

Figure 5 Global effective equivalent chlorine as measured up to

the year 2000 and predicted by emission model estimates.

(Adapted from the WMO/UNEP Scientific Assessment of Ozone

Depletion: 1998.)

1970 1990 2010 2030 2050

T
ot

al
 o

zo
ne

 a
no

m
al

y 
(%

)

_10

_ 8

_ 6

_ 4

_ 2

0

Mean of 10 Models
1 S.D. 
TOMS Observations

65˚S _ 65˚N

Figure 6 Average of ten 2D model predictions (with standard

deviations) of global (651S–651N) ozone loss compared to TOMS

measurements, adapted from the WMO/UNEP Scientific Ass-

essment of Ozone Depletion: 1998. (TOMS data courtesy of

Dr. Richard McPeters, NASA Gaddard Space Flight Center.)

1975 1985 1995 2005 2015 2025 2035 2045 2055 2065

C
ol

um
n 

oz
on

e 
(D

U
)

0

100

200

300

400

500

600

GISS Model
TOMS - Antarctic 

GISS Model
TOMS - Arctic 

Figure 7 Three-dimensional model predictions (Goddard Insti-

tute for Space Studies) of polar ozone loss compared to TOMS

satellite data. (Adapted from the WMO/UNEP Scientific Assess-

ment of Ozone Depletion: 1998.)

STRATOSPHERIC OZONE RECOVERY 2205



hydrofluorocarbons, halons, and other bromine-bear-
ing compounds such as methyl bromide. If the
emissions of these compounds do not decline as
prescribed by the Protocol, because of continued
production and/or emission in developing countries
who were provided special dispensations in the Pro-
tocol, then the predictions of recovery will, of course,
not be accurate.

Observing the Recovery

As discussed inWMO assessment, there are a number
of reasons why it is likely that the earliest evidence for
recovery of chemical ozone depletion will come from
Antarctica. The main reason is that the depletion
magnitude is large, with about two-thirds of the ozone
layer lost each spring. This magnitude is considerably
larger than natural variability, which makes detection
of recovery at midlatitudes, where the ozone deficit is
only of the order of 5% difficult.

In recent years, ozone has been totally destroyed
in the heart of the ozone hole region at 15–20 km.
In these regions, more chlorine and bromine are
activated than is required to destroy all the ozone
available. Thus this region is not expected to be an
early indicator of the beginning of ozone recovery.
However, at both the horizontal and vertical
boundaries of the ozone hole region the phenomenon
is not saturated and thus presents perhaps the best
opportunity for early detection of the beginning of
recovery.

The horizontal extent of the ozone hole can best be
observed by satellite instruments such as the Total
OzoneMapping Spectrometer (TOMS),which detects
total column ozone by observing ultraviolet radiation
being reflected off the surface or off clouds. It has been
customary to use the 220Dobson unit (DU) contour to
define the outer boundary of the springtime Antarctic
ozone hole as this is the value at which a steep gradient
in ozone exists with substantial depletion internal and
minimal depletion external to the 220DU contour.
Figure 8 shows the magnitude of the area interior to
this contour, averaged for the springtime period
9 September to 13 October, as a function of time
since TOMS satellite measurements began in 1979. In
recent years this parameter has been in the range of 22
(72)� 106 km2. This is equivalent to the area pole-
ward of about 661 S latitude. All but the tip of the
Antarctic Peninsula lies internal to this area, so that the
ozone hole defined in this manner covers essentially all
of Antarctica.

At the boundaries of the depletion region, strato-
spheric temperatures are not as cold as internal to the
boundary and thus polar stratospheric clouds, which

provide the surfaces required for the heterogeneous
chemistry do not form as readily. Thus, assuming that
temperatures will not change substantially with time
(climate change related to greenhouse gas increases is
expected to cool the stratosphere but will have larger
effects on theArctic stratosphere than on theAntarctic
because the Antarctic stratosphere is already very
cold), the area enclosed by the springtime 220DU
contour at maximum depletion should be a sensitive
indicator of the beginning of ozone recovery as
halogens begin to decline in the stratosphere. For
example, values below 20� 106 km2 have not been
observed since before 1990 and would be an indica-
tion of the beginning of ozone hole recovery.

The vertical extent of the ozone hole can be
observed with balloon-borne instruments and has
beenmonitored annually since 1986 at the South Pole.
Figure 9 shows vertical ozone profiles measured at the
South Pole during the ozone hole maximum depletion
at the beginning of the current continuous measure-
ment period in 1986 and during the ozone hole period
in 2000. These profiles are compared to onesmeasured
at the South Pole prior to the advent of the ozone hole
phenomenon during the 1967–71 period. The pro-
gression toward total ozone destruction in the
15–20 km region is clear. It also is clear that ozone
depletion has progressed to higher altitudes during the
1986–2000 period, with a sharp top to the ozone hole
at about 21 km in 1986 and about 24 km in 2000.
Barring major temperature trends in this region, the
top of the ozone hole should begin declining in altitude
as halogens begin their decay.

Another parameter that will be sensitive to halogen
decay is the rate of ozone loss in the main ozone loss
region (12–20 km) during September, the period when
ozone is declining rapidly. Figure 10 shows the rate of
ozone loss in September measured with balloon-borne
instruments at the South Pole since 1986. In recent
years the value has been about 3.170.4DU per day.
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Pre-1990 values were in the range of 2.270.4DU per
day.

The detection of the recovery of Arctic ozone loss
is expected to be more difficult because models
suggest that the worst is yet to come in the Arctic
owing to the more dynamic situation in the Arctic
compared to the Antarctic (see Figure 7). The inter-
annual variability in the degree of springtime Arctic
ozone depletion will be much too large to allow any
simple observations of the beginning of recovery of the
Arctic ozone layer.

At midlatitudes, detection will be difficult as well.
Here the small signal compared to natural variability
makes difficult the detection of an ozone increase.
Statistical models that include past trends and 2D
chemical model predictions suggest that recovery may
be detected at southern midlatitudes prior to northern
midlatitudes. As indicated in Figure 6, the detection of
a meaningful increase in ozone levels is not predicted
by the chemical models before about 2030. Further
complications arise from uncertainties in the global
levels of some chemicals, for example,methane,which
reacts with chlorine and thus reduces ozone depletion.
In recent times the methane growth rate has declined

substantially and if it does indeed cease to increase, as
proposed, then the recovery of ozone will be further
delayed by 10 or so years (see Figure 11).

Finally, since themodels do not capture the dynamic
variability observed in lower stratospheric circulation,
which in some analyses can account for almost one-
half of the ozone loss at northern midlatitudes since
1979, the observed recovery could be either slower or
faster than predicted by chemical models, depending
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on whether the dynamical factor is increasing or
decreasing.

Summary and Conclusions

In summary, while chemical models indicate that the
maximum ozone depletion will occur within the next
two decades, uncertainties related to emission scenar-
ios of greenhouse gases and climate change make
estimates of the beginning of ozone layer recovery
unreliable. Even inAntarctica,where it is believed that
the earliest and least ambiguous observation of the
beginning of ozone recovery will be possible, the
unambiguous detection of the beginning of the recov-
ery of the ozone layer will not occur until well into the
next century, beyond the maximum loading of ozone-
depleting gases. It is quite clear that the atmosphere
will be in a different chemical and thermal state when
equivalent chlorine levels drop to pre-1980 levels in
the stratosphere, making precise predictions of ozone
recovery impossible. Barringmajor volcanic eruptions
during the next decade, a cessation of the downward
trend inmidlatitude ozone, nowonly hinted at, should
be observed and would be a harbinger of the coming
recovery.

See also

Ozone:Ozone Depletion Potentials; Ozone as a UV Filter;
Photochemistry of Ozone; Role in Climate; Surface Ozone
(Human Health); Surface Ozone Effects on Vegetation.
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Introduction

The Earth is indeed the ‘water planet’. So many of the
key conditions and properties here on Earth are
determined by this enigmatic and vital substance.
Not least of the mysteries involving water is that the

stratosphere, that region of the atmosphere between
roughly 12 and 50 km, is extremely dry. The concen-
tration of water vapor, expressed as a relative fraction
of the total mass of air at any given altitude, is in the
range of ‘parts per million’ (ppm; 10�6), in other
words, only a few molecules in every 106 are water
molecules. This contrastswith humidities up to 10 000
times higher in the troposphere. Nevertheless, this
small concentration is profoundly important. It is one
of the fascinations of the study of stratospheric
humidity that, while this extreme aridity and the
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overall mechanisms causing it have been known for
more than half a century, the detailed understanding of
precisely how this state is maintained remains elusive.

This extreme dryness was first discovered during
high-altitude research flights in Canberra aircraft over
the United Kingdom, beginning as long ago as 1943
and continuing for many years thereafter. In the frost-
point hygrometer, a mirror surface is cooled until the
ambient humidity causes a frosting of the surface:
knowing the temperature at which this happens, and
the pressure of the local air allows the humidity to be
calculated.Using this device, scientists from theBritish
Meteorological Office measured frost-point tempera-
tures at the tropopause (the boundary between the
troposphere and stratosphere) of 215K, which
equates to a mixing ratio of about 55 ppmv (parts
per million by volume, expressing the relative number
of molecules of water and air in a given volume). At
altitudes about 2 km above the local tropopause,
mixing ratios of 3 ppmv were observed. Further
analysis, including the use of studies of the way in
which radioactive decay from nuclear tests spread
around the world, led to the formulation of the
Brewer–Dobson theory to explain this dryness. It was
postulated that a slow overturning of the whole
atmosphere, with air rising above thewarm equatorial
region, passing through the very cold tropopause,
moving poleward in the stratosphere, and then sinking
at higher, colder latitudes, could cause dessication of
the air as it rises through the cold tropical tropopause.
The tropopause temperatures in tropical regions were
known to be very low (well below 220K) and quite
capable of producing this degree of dryness. This basic
theory of the humidity of the stratosphere has survived
and today forms the basis of our understanding,
although we now realize that there are many impor-
tant details that modify this model.

The humidity of the stratosphere is important
because the amount of water vapor determines
important aspects of the planetary radiative energy
balance through the strong cooling to space from
water vapor. This contributes to determining the
temperature of the stratosphere, which then affects
the dynamical circulation of the upper atmosphere.
Moreover, water vapor provides the source of the
hydroxyl radical,OH,which takes part in a number of
stratospheric chemical processes, and the influence on
temperatures affects chemistry through temperature-
dependent reaction rates. An understanding of how
the distribution of water vapor is controlled, and of
how this distribution might change in future, is
therefore important in a variety of scientific and
environmental problems, as we shall see below, not
least in determining the role of water vapor in
controlling changes in our climate.

Observations of Stratospheric Water
Vapor

Following the pioneering work in the United King-
dom, measurements at higher altitudes (to 30 km and
above) were made in the United States using high-
altitude balloon technology. At first, this work indi-
cated a much wetter stratosphere, and something of a
controversy brewed up. However, it was soon realized
that the balloon data were being contaminated by
moisture carried up by the balloon itself, and since
then, a long series of very accuratemeasurements, also
using the frost-point hygrometer principle, have been
reported by US scientists working for the Naval
Research Laboratory and subsequently the National
Oceanic and Atmospheric Administration, (NOAA).
These showed that the humidity of the stratosphere
remained low, with only a small possible increase, up
to an altitude of about 30 km. These measurements
have continued from the late 1960s up to the present
day, first over Washington DC and subsequently over
Boulder, Colorado. These measurements have given
support to the possibility of significant long-term
trends in stratospheric moisture, existing over dec-
ades. We shall come back to this later.

A step up in sensitivity, which allowed measure-
ments at much higher time and space resolution to be
made, came with the invention of an alternative
measurement technique using the resonance fluores-
cence hygrometer. This device uses the spectroscopic
property of the water vapor molecule that if it is
illuminated by ultraviolet radiation from a lamp at a
certain frequency, it will reemit radiation in measur-
able quantities and with an intensity that is propor-
tional to the relative amount of water vapor to air
molecules in the line of sight. This device has nowbeen
widely deployed on aircraft and balloons around the
world, and has given rise to a much more finely
detailed knowledge of how water vapor is distributed
around the globe. It was using this device that the
‘hygropause’, aminimum inmixing ratio some2–3 km
above the local tropopause, was discovered in tropical
regions. This discovery gave a clue to more detailed
mechanisms of how the dryness of the stratosphere is
controlled, as we shall see later.

For a more global view of how stratospheric water
vapor is distributed and might vary, however, satellite
techniques inevitably became crucial. Measurements
of stratospheric water vapor were first made by the
NASA Limb Infrared Monitor of the Stratosphere,
(LIMS) on theNimbus 7 spacecraft launched in 1978.
This device, which employed sensitive cooled detec-
tors in space, detected emission from stratospheric
water vapor from one of its infrared vibration–
rotation bands (the n2 band centered at 6.3 mm).
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The intensity of this emission is proportional to the
atmospheric temperature, and the water vapor con-
centration: Knowing the temperature from separate
measurements allowed the water vapor concentration
to be determined globally as a function of altitude and
position. This was a very exciting development, which
employed the new technique of limb-sounding that
increased the precision of stratospheric measurement
by aiming the instrument sideways, toward the limb of
the atmosphere, where the stratosphere is exposed
against the cold, dark background of space.Nimbus 7
was notable for another reason: this program intro-
duced the idea of assembling international ‘Experi-
ment’ or ‘Science’ teams to assist in the development
and scientific exploitationof the experiments onboard
the satellite, a method adopted in almost all satellite
experiments since.

Many other notable experiments to measure strato-
spheric water vapor have been undertaken since. Also
on Nimbus 7 was the British instrument called the
Stratospheric and Mesospheric Sounder, which used
another new technique, pressure modulation radio-
metry, to detect and measure water vapor (among
other gases). This technique actually carried a sample
of water vapor in a cell on board, as a type of
‘calibrator’ of the detected infrared emissions. A very
beautiful Fourier transform spectrometer called
ATMOS (Atmospheric Trace Molecule Spectroscopy)
was flown several times on the Space Shuttle in the
1980s and 1990s, providing highly accurate spectral
information about water vapor and many other
stratospheric molecules. Long-term measurements
were initiated using shorter-wavelength visible and
near ultraviolet observations of water vapor absorp-
tion, using the Stratospheric Aerosol and Gas Exper-
iment (SAGE). More recently, the Upper Atmosphere
Research Satellite (UARS) has operated from 1991
until the present day (mid-2001) and has carried
several experiments thatmeasured stratosphericwater
vapor. Perhaps the most successful of these is the
Halogen Occultation Experiment (HALOE), which
has provided near-global measurements for a decade.
HALOE measures the absorption of infrared solar
radiationby stratosphericwater vapor, using theLIMS
technique of staring through the limb of the atmos-
phere, in this case as the Sun rises or sets behind the
atmosphere. Another new sensor, the Microwave
Limb Sounder, operated in the millimeter wave part
of the spectrum. All these new data have given us a
completely new perspective on the distribution and
variability of water vapor in the stratosphere.

Many other satellite and non-satellite-borne exper-
iments have given newmeasurements that have helped
us to understandmore andmore about the behavior of
stratospheric humidity.We still facemany puzzles, but

we are gradually unraveling the mysteries of this
enigmatic substance in our upper atmosphere, as we
shall see below.

The Mean Water Vapor Distribution of
the Stratosphere

Figure 1 gives a representation of the annual mean
distribution of water vapor, based on the most recent
measurements from the UARS satellite. The main
points to note are the strong gradients in mixing ratio
at the tropopause; a slow increase inmixing ratio with
height; a minimum ofmixing ratio immediately above
the tropical tropopause; and shallow minima above
the polar tropopause in both hemispheres, but partic-
ularly the southern pole.

We will now discuss current ideas that account for
this mean distribution.

Mean Meridional Circulation

The Brewer–Dobson theory was mentioned earlier.
This accounts for the extreme dryness of the strato-
sphere as due to a slow meridional circulation with
rising air over the tropics and descending air at higher
latitudes. The very low temperatures found at the
tropical tropopause cause a dessication of the air as it
passes from tropical tropopause to overlying strato-
sphere. Above the tropopause, as the air rises, the
mixing ratio increases due to conversion from meth-
ane, CH4 (see below). Air at extratropical latitudes is
made up of dry air spreading nearly isentropically
along contours of constant potential temperature,
mixing with air that has risen to the stratopause,
increasing in mixing ratio as it rises, and which has
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then traveled poleward, sinking as it cools. Thismakes
for a complex situation at these latitudes,with laminae
of dry and moister air overlying each other. The two
routes give rise to air that has different ‘ages’ in the
stratosphere. The rapid isentropic transport gives rise
to a dry layer in the lower stratosphere over much of
the globe. It is now also believed that mixing of air
caused by planetary wave activity in the lower
stratosphere is important, especially at mid-latitudes
and in winter, when such wave activity is at its
strongest.

Stratospheric Photochemistry

In the stratosphere, the high intensity of short-wave
solar radiation means that methane and molecular
hydrogen can be photolyzed, to release active hydro-
gen compounds. The methane is oxidized to produce
roughly two molecules of water vapor for every one
molecule of methane that is destroyed. As a conse-
quence, the quantity c ¼ 2½CH4� þ ½H2O� may be
regarded as a quasi-conserved quantity, which can
help analysis of observed fields. Lifetimes of both
methane andmolecular hydrogen are over 100 years at
the tropopause, a few years at 30 km, and a few
months at 40 km, owing to the increasing solar flux at
shortwavelength. Thus, air can be ‘tagged’: low values
of [CH4] and high values of [H2O] in lower strato-
spheric air indicates that the air has been transported
down from higher altitudes.

Tropical Tropopause Dehydration

It is an amazing fact that, despite decades of research,
we are still unsure about the precisemechanism(s) that
cause the ‘cold trap’ phenomenon at the tropical
tropopause. The tropical tropopause temperature
around the globe is not low enough everywhere to
produce the observed very low values in the strato-
sphere. Avariety of mechanisms have been postulated
that could account for the observations. These include
the suggestion that there are preferred longitudes
around the Equator, for example over Micronesia,
where vertical convection is particularly strong and
where, as a result, tropopause temperatures are
especially low. This gave rise to the notion of a
‘stratospheric fountain’, one of the more picturesque
concepts of recent years! Also, considerable work,
notably in the United States, has been done on the
effect of very deep convective clouds that might
penetrate the local tropopause for a limited period:
These clouds usually have ice clouds associated with
the top and downwind side of their ‘anvils’. It is
thought that both dessication and increase inmoisture
in the lower stratosphere could arise from such a
mechanism. Other studies have considered the exist-

ence of more permanent ‘cirrus veils’ in the region of
the tropopause, the formation of which causes a
drying of the air as it supplies water to form ice:
Subsequent descent of the veil, due to radiative
cooling, can leave behind a dry layer of air.

It now seems likely that many of these mechanisms
are operating simultaneously. Thus, the mean merid-
ional circulation is augmented by longitudinal varia-
bility in convective energy, by local cloud penetrations
of the tropopause, by cirrus veils, and probably by
other processes as well. Furthermore, these may be
operating on quite small space and time scales, and
what we observe is the net effect averaged over time
and space. For example, the combined effect of many
cumulonimbus clouds penetrating the tropopause
may be a significant contributor to the dryness of the
lower stratosphere. However, capturing such a mech-
anism in a model that may have a horizontal spatial
resolution of over 100 km is difficult.

Polar Dehydration

Within the stratospheric vortices that form around
each of the poles in winter, temperatures can fall to
extremely low values (e.g., 180K) and, of course, the
air in the vortex is very dessicated under such
conditions. In the north, the strength of the vortex,
the degree of cooling within the vortex, and the
consequent degree of dessication are not thought to be
sufficient to affect the annual mean. However, in the
south, the dessication is very significant and is thought
to decrease the annual mean, even though it is only a
seasonal effect. Below the400Kpotential temperature
surface, in spring and summer, dehydration can affect
mid-latitudes, but the effect on the rest of the strato-
sphere is minimal.

Troposphere–Stratosphere Exchange
at Mid-Latitudes

In the mid-latitude lower stratosphere, the extreme
dryness of the stratospheremust bemaintained against
the relatively very high humidity of the tropopause just
a few kilometers away under the tropopause. At these
latitudes, of course, there is not the strong vertical
convection to maintain the cold trap mechanism and,
indeed, tropopause temperatures are warmer on
average than at lower latitudes. What happens? First,
the air in the stratosphere is, on the average, subsiding
from higher up and so maintains an appropriate level
of moisture, though there is also ‘leakage’ through the
tropopause at mid-latitudes. The most likely route is
from the tropical high tropopause, along isentropes,
passing through the break in the tropopause that often
exists at mid-latitudes (as a result of deformation of
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the tropopause into ‘folds’, caused by various tropo-
spheric dynamical features such as low-latitude
troughs). The influence of high topography, such as
the Himalayas and the Tibetan Plateau is also thought
to influence isentropic flow from tropical upper
troposphere into mid-latitude stratosphere.

Thus, explaining the mean distribution of water
vapor in the stratosphere involves an understanding of
global mean circulation on the one hand, and on the
other a range of detailed tropopause-level processes on
scales from a typical depression to an individual cloud.
The best interpretation at present involves a range of
processes, covering all these scales, with no simple
picture of a single determining process emerging.

Seasonal and Annual Variability

The largest and most prominent variation in lower
stratospheric water vapor is the seasonal cycle. Figure
2 uses data from the HALOE experiment to illustrate
tropical and mid-latitude seasonal variability. The
data are averaged over the years 1991–1999, and
mixing ratio values below 3.4 ppmv are shaded. In
tropical latitudes, an annual cycle in themixing ratio is
due to the annual cycle in tropopause temperature in
the tropics. Low mixing ratios form in December–
January near the tropical tropopause, caused directly
by the ‘cold trap’ working at low temperatures. These
low mixing ratios spread quickly poleward in an
isentropic sense until in April they cover the range
601 S–601N: This isentropic motion is, of course, fast

since no barrier to the motion exists. Later in the year
the humidity of the lower stratosphere rises as the
tropopause becomes warmer, and the lower strato-
sphere becomes generally moister. This happens par-
ticularly in the northern subtropics, possibly due to the
effect of the Himalayas and the Tibetan Plateau.

In mid-latitudes there is evidence from other obser-
vations of an annual cycle in the lower stratosphere.
For example, balloon measurements over Boulder,
Colorado, show a maximum in summer and a mini-
mum in mixing ratio at about 15 km in March and at
about 18 km in September. This phenomenon is
consistent with the idea of rapid isentropic flow from
the tropics to mid-latitudes.

The annual cycle in the tropics gives rise to an
annual variation of mixing ratio, and a phase lag in
time as the prevailing humidity at the tropopause
ascends to higher altitudes. This phenomenon has
been named the ‘tape recorder’, for reasons that
become clear from Figure 3. These observations, taken
from the HALOE experiment demonstrate the power
of satellite data for obtaining a global-scale perspec-
tive on processes. The figure shows how, below 20km,
the tropical humidity follows the annual cycle seen in
Figure 2 earlier. At higher altitudes, up to 30 km, the
peaks and troughs occur later, owing to the finite
vertical motion from the tropopause upward. The
‘signal’ of the tropopause variations is imposed on the
‘tape’ as a record of humidity with height. An
interesting use of this result was to examine themixing
times at different altitudes, which tend to wash out
these signals. This study suggested a strong mixing

60° N

30° N

30° S

60° S

0°

La
tit

ud
e

J F M M J J A S O N D JA

Month

3.60 4.00

4.40
4.80

5.20

5.
60

4.80

4.40

4.00

3.60

3.20

3.20

Figure 2 Latitude–time evolution of water vapor mixing ratio on the 380K isentropic surface derived from seasonal cycle fits of the

HALOE data. (Source: SPARC 2000.)

2212 STRATOSPHERIC WATER VAPOR



between the tropics and mid-latitudes in the lower
stratosphere below about 20 km, and a region much
more isolated from the mid-latitudes between about
20 and 30 km.

Nonseasonal Variability

In addition to the seasonal variability driven by the
annual variation in solar flux, there are other impor-
tant processes that cause variability on other
time scales in the humidity of the stratosphere.
Understanding these is an important part of under-
standing how the climate of our planetmight varywith
time.

The Quasi-Biennial Oscillation (QBO)

The QBO has been known to exist in the stratosphere
for a number of years. It is a reversal of themean zonal
wind in the lower equatorial stratosphere,with amean
period of about 28 months (though this period varies
significantly), and is probably driven by vertically
propagating waves from the troposphere. The vertical
motion of air through this region is affected by the
direction of the mean flow (positive shear of easterly
momentum is associated with above normal ascent
and vice versa). There are associated temperature
perturbations in the lower stratosphere of a fewkelvin.
Because of these variations in vertical ascent, thewater
vapor distribution with height is affected, and a small
but significant QBO signal can be detected in the
mixing ratio at a given altitude, once the seasonal
variability has been subtracted from a suitably long
data set. Here, of course, long-term satellite data come
into their own. QBO signals between 0.2 and
0.5 ppmv have been detected, for example, in the
long-term HALOE data set.

Madden–Julian Oscillation (MJO)

The tropical Pacific region exhibits a phenomenon
called the Madden–Julian Oscillation (MJO), a trop-
ical intraseasonal variation with a period of about
30–60 days that has a signal in a number of tropo-
spheric fields. The MJO has a strong effect on
tropospheric humidity, and recent work has highlight-
ed the fact that there is a weak signal in the variability
of the lower stratosphere, around 100 hPa. This signal
is no more than a few tenths of a kelvin, but is
nevertheless significant.

Long-Term Trends

For time scales longer than the QBOF that is, longer
than about 2 years F it is of great interest to know
whether there are trends that might be significant in
terms of the climate of the Earth. In order to examine
long-term trends, it is obviously necessary to obtain
data sets with the required longevity, accuracy, and
precision. In the stratosphere, only two data sets have
all the required properties, the frost-point hygrometer
balloon measurements over Boulder, and the HALOE
satellitemeasurements from theUARS spacecraft. The
former cover the time period 1981 to the present, and
the latter the period 1991 to the present.

Balloon Measurements over Boulder, Colorado

A consistent series of balloon frost-point measure-
ments has been made over Boulder over a 20-year
period, and these have been analyzed to determine
trend statistics. Measurements have been made on a
roughly monthly basis, and heights up to about 28 km
have been accessible using the balloon system avail-
able at Boulder. The results of this study are given in
Table 1. The detected increase of about 1% per year is
statistically highly significant at all levels above 16 km,
up to 28 km.
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Trends from HALOE

The HALOE experiment on the UARS satellite has
made measurements of a number of stratospheric
constituents from 1991 to the present day. These
include water vapor (H2O) andmethane (CH4). Thus,
the trends of both water vapor and the hydrogen
parameter defined above, c ¼ 2½CH4� þ ½H2O�, can
be determined. These data have been analyzed by a
number of groups in the United States and the United
Kingdom,withbroadly similar results. Strong increases
in both H2O and c have been detected (of between
0.05 and 0.15 ppmv y� 1: i.e., a few percent per year)
between about 20 and 50 km for both species, for the
years 1991–1996. However, the trend detected from
an analysis of the years 1996–1999 was statistically
indistinguishable from zero. This represents a very
significant change in the long-term variability of
stratospheric humidity, and indicates that the trend
detected between 1991 and 1996 may be due to a
particular episodic event, for example, the eruption of
Mt. Pinatubo in 1991,which is known tohave affected
the stratosphere profoundly from 1991 to at least
about the end of 1992. Figure 4 shows the
de-seasonalized mixing ratio anomalies in c from
HALOE data at three levels: 31, 10, and 3 hPa. Solid
circles show data for the Southern Hemisphere, and
open circles for the Northern Hemisphere. The
smooth lines are the results of the use of a smoothing
filter to remove the effects of the QBO (see above),
which is clearly seen in the 10 hPa data.

From these studies, we can conclude that long-term
trends in stratospheric water vapor may occur at the
level of 1–2%per year, but that events on the time scale
of 5 years can produce changes of similar magnitude.
We shall see below, however, that even small changes
of this order are significant as far as the radiative
properties of water vapor are concerned.

Significance of Long-Term Trends of Stratospheric
Water Vapor for Climate

Water vapor in the stratosphere is a significant
greenhouse gas that, by virtue of its temperature,
provides a very significant cooling to space. Calcula-

tions in the literature indicate that a fixed increase in
stratospheric mixing ratio of 0.7 ppmv could decrease
temperatures by up to 3–7K (in the spring). This
change in temperature would have two effects. The
first, is to decrease Arctic ozone columns owing to the
temperature sensitivity of some of the reactions
involved in the ozone balance. Second, the increase
of water vapormixing ratio would raise the saturation
temperature required for the formation of polar
stratospheric clouds. Thus, an increase in water vapor
amounts could have a significant effect on Arctic
ozone depletion.

According to other recent studies, a further effect of
increasing stratospheric humidity might be an added
radiative forcing of the Earth’s surface of about
0.2Wm�2, about 25% of the ‘standard’ water
forcing, and about 5% of the total forcing thought to
be due to CO2 doubling, including feedbacks.
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Table 1 Stratospheric mixing ratio trends measured above

Boulder, Colorado, 1981–2000

Altitude range (km) Gradient

of mixing

ratio (%/year)

Uncertainty in

gradient

(%/year)

16–18 1.3 0.4

20–22 1.0 0.2

24–26 1.0 0.3
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(SPARC, 2000), which provided very valuable back-
ground in the writing of its article.

See also

Arctic Climate. Climate: Overview. Climate Variabil-
ity: Seasonal to Interannual Variability. Global Change:
Upper Atmospheric Change.Middle Atmosphere: Plan-
etary Waves; Quasi-Biennial Oscillation. Observations
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Vapor Sondes. Observations for Chemistry (Remote
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ing:Water Vapor. Stratospheric Chemistry and Com-
position: Hydrogen Budget.
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Introduction

This article focuses on in situ measurements for the
study of turbulence in the atmospheric surface layer.
Specifically it deals with the eddy correlation calcula-
tions of the vertical fluxes ofmomentum, sensible heat,
and latent heat, as well as fluxes of chemical trace
constituents such as carbon dioxide (CO2) and other
important greenhouse gases, ozone, and gaseous
nitrogen compounds.

Measuring techniques that are built on aircraft
platforms are not considered here. Such techniques
can provide area averages of the measured quantities
on a horizontal scale of the choice of the experimenter,

in contrast to the tower-based techniques that we
deal with in this article, which have a ‘footprint’ given
by the experimental situation (height of observation
and turbulent intensity in the boundary layer).
Nor shallwe deal herewith remote sensing techniques,
be they ground-based or airborne. These are typically
based on the detection of backscattered energy
from a light source (light detection and ranging,
lidar), microwave transmitter (radio detection and
ranging, radar) or loudspeaker (sound detection
and ranging, sodar). The first two operate over a
relatively long range while the latter is limited to the
scale of the atmospheric boundary layer. Using
these devices it is possible to derive wind as well
as temperature information. The acoustic backscatter
devices (sodars) have become widespread for
operational use in airports for ‘nowcasting’ of wind
conditions.
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Turbulence in the Atmospheric
Surface Layer

Turbulence in the atmospheric boundary layer is
manifested by the eddy motions that provide the
transport from the atmosphere to the surface and vice
versa. Thus measuring the fluxes and analyzing them
in relation to environmental conditions is one of the
important tasks of all micrometeorological research.
The goal is to devise robust relationships between
emanating fluxes andmore amenable parameters such
as those that can be calculated fromnumericalmodels,
based on solutions to the equations of fluid motion
(Navier–Stokes equations). The need for these kinds of
experimental studies derives from the fact that rele-
vant analytical solutions cannot be found, but canonly
be investigated numerically with a lot of assumptions
based on direct experimental evidence (parameter-
ization).

However, the numerical procedure imposes a cer-
tain gridpoint resolution. This resolution is limited by
two factors: the size of the total domain that is to be
resolved, and the power of the computer available.
Currently the weather and climate models covering
major parts of the globe operate with horizontal grid
cells of order 100 km. This calls for good parameter-
izations (the purpose of the experimental studies based
on the instruments described here); how to aggregate
the fluxes from the various patches onto a grid
resolution of 100 km is another matter.

Micrometeorology provides an estimation of the
fluxes in conjunction with measurements of the rele-
vant vertical profiles of the mean quantities. The
classical example is themomentumflux (loss of kinetic
energy from the atmosphere) compared to the vertical
wind gradient. The modern method of flux determi-
nation builds on the concept of covariance between
the current vertical velocity, w, and the concentration
of interest, c. The ‘instantaneous’ product of
wðc� hciÞ ¼ wc0, where c0 is the ‘instantaneous’
deviation from the mean concentration hci, averaged
or summedover a suitable period, for example 30min.
This is by definition the vertical transport of c.
This technique is also called the eddy correlation
method.

A common pitfall is in the correct determination of
w. In geophysical flows the vertical velocity is not
necessarily perpendicular to the geopotential, but
rather perpendicular to the stream surface of the local
air flow. For the above-mentioned eddy correlation
calculations, it is therefore necessary to measure the
instantaneous horizontalwind components in order to
define the directions of the streamlines. The question
of the measurement of c0 is considered later in this
article.

In the surface boundary layer the turbulent motions
occur on a wide spectrum of scales (both time and
space). When a large eddy, perhaps on the scale of the
depth of the entire boundary layer (H ffi 1 km), moves
past the observation point it can produce a lengthy
perturbation on the mean velocity on a time scale of
t ¼ H=hui, where hui is the mean wind speed some-
where up in the boundary layer. This would typically
be of the order of several minutes. However, vertical
motions determining the fluxes are generally on
shorter time scales. In order to determine appropriate
fluxes, both c and w must be recorded at sufficiently
short time scales (rapid) to account for all the relevant
motions.

Examination of w, i.e., how it varies and the
frequency distribution of this variation as seen from
the fixed (tower) observer, shows that the variation of
w is constant with changing frequency from low
frequencies until a certain point. This point, or kink, is
closely associated with the production scale of the
eddies, which is in turn closely related to the height
above the ground of the measuring instrument. At
higher frequencies the variation inw falls off (as f�5=3,
according to Kolmogorov, where f is the frequency of
the fluctuations). The fall-off in variation intensity is
associated with the approach to isotropic turbulence
as opposed to the scale at which it is produced. The
fluctuations finally vanish at scales on the order of
1 cm, where viscosity smears all fluctuations.

When we deal with fluxes, i.e., covariances, it is
important to recognize the w spectrum. When we get
into the Kolmogorov range proper, perhaps one
decade beyond the above-mentioned kink, the turbu-
lence becomes isotropic and therefore the remaining
eddies carry no net flux. In consequence we need
sensors that can resolve w and c at frequencies up to
about 10Hz at typical observation heights within the
surface layer.

In this article we first deal with wind sensors and
subsequently sensors for temperature (heat flux) and
humidity (evaporation). Finally, some details about
fluxes of other species are discussed, including a
technique (relaxed eddy accumulation, REA) that
avoids the need for a rapid c sensor.

Fast-Response Wind Sensors

For measurements of the vertical wind component a
number of devices have been developed, including
vertically aligned light propellers and various types of
drag anemometer. The latter is based on the relation-
ship between the force on a body, e.g., a golf ball, and
wind velocity. The sensing element is usually based on
the bending of the supporting beam detected by a
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strain gauge (a filament in which electrical resistance
changes with strain). Both devices have frequency
response problems. These occur in the propeller
because of finite starting and stopping velocities and
inertia, and in the drag anemometer because of
eigenmode vibrations (Kármán vortices). In addition,
most propeller and drag anemometers distort thewind
flow with their bulk.

Another instrument that has been used to measure
wind speed in the atmosphere is the hot-wire ane-
mometer. This instrument is optimized for laboratory-
type flows (very small size and very rapid frequency
response). The principle is that a metal wire is heated
by an electric current. The more it is cooled by the
(perpendicular) wind, the more current is needed to
maintain the temperature of the wire at the set level.
Since it is a fine-scale instrument it is only suited to very
detailed studies of the atmospheric turbulence – like
the eddy cascade towards smaller scales and final
dissipation. Few studies have used this instrument in
micrometeorological research, and it has not been
developed into more rugged designs.

The instrument that has won the most widespread
use inmicrometeorology is the ultrasonic anemometer
(Figure 1). This is because it has no fragile or moving
parts and does not significantly interfere with the flow,
if properly designed. It builds on the principle of the
propagation of sound. A transmitter sounds a pulse
(typically of 100 kHz, i.e., ultrasonic) and a receiver
some distance l away detects it some time t later. This
time depends on the speed of sound, c, as well as the
local instantaneous wind velocity. If this is done in the
opposite direction as well the wind velocity can be
derived. The precise relationship is given by eqn [1]:

va ¼ l

2

1

t
� 1

t0

� �
½1�

where va is the wind velocity component along
the transmitter–receiver axis. Figure 2 provides
an explanation of the principle. Here vn denotes
the wind velocity normal to the transmitter–receiver
axis.

Fast-Response Temperature Sensors

Fast-response temperature sensors are used in con-
nection with the covariance or eddy correlation
technique to determine the vertical heat flux in the
atmospheric surface boundary layer. As mentioned
above, the requirement is that the thermometer has a
rapid response, i.e., it reacts on temperature fluctua-
tions on a short time scale, of order 0.1 s (10Hz).

One option is to use very thin metallic wires whose
heat capacity is low enough for them to follow the

ambient temperature quite closely. The signal then
consists of variations in the electrical resistance of the
wire. An alternative method is again to use the sonic
principle. If the reciprocals of the flight times as shown
in eqn [1] are instead added, then one obtains a
measure of the speed of sound (eqn [2]):

c ¼ l

2

1

t
þ 1

t0

� �
½2�

except for a small error of order vaðva=2cÞ. From the
gas law of thermodynamics c is related to the absolute

Figure 1 Ultrasonic anemometer (Metek USA-1 3D). Note that

there are three sets of opposite microphones/transmitters, none of

which is along a vertical path. However, from these three

components it only requires simple geometry to calculate vertical

and horizontal wind components.
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temperature through eqn [3], from which the virtual
temperature, T, can be found.

c ¼
ffiffiffiffiffiffiffiffiffiffi
gRT

p
½3�

Here g and R are thermodynamic constants that
depend on the molecular composition of the gas
mixture. In normal atmospheric air the temperature
derived from this method will slightly depend on, or
needs correction for, the content of water vapor in the
air. In principle this is also true for other trace
constituents, such as CO2, but in practice the effect
is negligible.

Fast-Response Humidity Sensors

From the above, itwould appear that the sonicmethod
could also be used to derive air humidity in an
otherwise known atmospheric air mixture, provided
the true T is measured in the traditional way. In
practice the signal is not large enough for this
technique to be used in normal atmospheric condi-
tions.

In a more traditional way, it is possible to measure
humidity fluctuations sufficiently rapidly in order to
determine the evaporation from the Earth’s surface
(water, ground, or vegetation) by using the psychro-
meter technique: a thermometer is covered by a wet
‘sock’, and the amount of evaporation, and thus
cooling of the thermometer, depends on the dryness of
the ambient air. For flux purposes the thermometer
must be of very thin wire as described above and the
sock should have a similar low heat capacity.Methods
like the dew-point mirror have not been developed for
flux purposes because of the large thermal mass of
mirror and condensate.

The more common techniques are based on optical
principles. These are mainly the Lyman a hygrometer
and the infrared hygrometer. The Lyman a hygrom-
eter, as the name suggests, operates at the a line in the
hydrogen molecular spectrum. However, the lenses in
the optics are made of magnesium fluoride, which is
transparent for light at this wavelength. This material
is very sensitive and the lenses corrode quite quickly
when exposed to normal atmospheric air (humidity!).
The infrared technique is in more widespread use. It is
based on the broader absorption bands of H2O
molecules in this part of the light spectrum. Still
anothermethod is based on light from a krypton lamp.
Some designs have the optical path in the open, similar
to the sonic methods. In other designs the optical path
is enclosed and the sample is pumped through the
enclosure. Such designs need to allow for damping of
fluctuations in air lines and phase lag.

Fluxes of Chemical TraceConstituents

As mentioned above, it is possible to measure the flux
of any trace constituent using the eddy correlation
method. The chief limitation is the requirement for a
rapid time response of the detector or chemical
analysis apparatus. All current methods are based on
optical techniques – either directly or indirectly.

The infrared absorption technique, already dis-
cussed in the context of humidity measurement, is
quite common for the measurement of CO2. In fact
both measurements are often integrated in the same
instrument. Another directmethod is based on tunable
diode lasers, where the wavelength of the laser light is
adjusted to an absorption line that is specific to the
molecule (or compound) of interest. This device needs
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Figure2 The sketch to the left shows howa spherical sound pulse propagates under the influenceof the ambientwindwhere the center

of the pulse moves from A to B while it is detected at the receiver A0 (and vice versa). The sketch to the right defines the variables of

importance.
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very strict temperature control of the light emitter as
well as the detector (requires cryostatic devices) and is
therefore quite difficult to operate in the field.

Othermore indirect opticalmethods are built on the
detection of light emission. A classical technique is
flame photometry, where the gas is passed through a
hydrogen flame and the light emitted from the excited
molecules of interest (particular wavelengths) is
measured. Other quite widespread methods are based
on specific chemical reactions that emit light (chemi-
luminescence). These are available for fast ozone,NO,
and NO2 detectors.

A relatively newmethod that has a lot of potential is
the so-called relaxed eddy accumulation (REA) tech-
nique. In its simplest form it consists of a pump, a fast
two-way valve, and two collector reservoirs (for
example Teflon bags or Tenax tubes), together with
the vertical channel of a sonic anemometer to control
the valve (see Figure 3). When the air motion is
upwards the air is led to the ‘up’ reservoir, and vice
versa. After a suitable period of time (say 30min), the
concentration of all compounds of interest in the two
reservoirs can be determined by conventional slow
response analyzers. The flux is then determined from
eqn [4],

F ¼ bswðcþ � c�Þ ½4�

where cþ and c� are the concentrations in the ‘up’ and
‘down’ reservoirs respectively, sw is the standard
deviation of the fluctuations in the vertical wind

velocity, and b is an empirical coefficient of order 1.
The coefficient b is not a constant, though, but
depends on the statistical properties of the turbulence
and thus, for example, indirectly on the atmospheric
stability.

There are many variations to the actual design.
Online analyzers can replace the bags and analyzers
based on a differential principle are ideal. Introducing
an interval for the vertical wind velocity (a so-called
dead band) in which air is not sampled in either
of the reservoirs has the advantage of reducing the
activity of the valve and increasing the difference
between cþ and c�. If the dead band is not kept
as a constant but made variable as a fixed fraction of
sw, then b turns out to be effectively constant. The
value of b is determined by using eqn [4] for a flux F
which can also be measured directly by eddy correla-
tion, and then assuming that b is similar for all
compounds. The big advantage of this technique is
that it opens up for flux measurements of a host of
compounds because the chemical detectors do not
need to have a fast response.

See also

Boundary Layers: Observational Techniques In Situ;
Surface Layer. Land–Atmosphere Interactions: Trace
Gas Exchange. Observations for Chemistry (In Situ):
Gas Chromatography; Resonance Fluorescence. Param-
eterization of Physical Processes: Turbulence and
Mixing.

Figure 3 A sonic anemometer and other flux instrumentsmounted on amast in a real micrometeorological setting. The box to the left of

the mast at about the height of the sonic anemometer contains a REA control system.
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Introduction

This article will consider the role of the human in
forecasting for middle or high latitudes where the
weather is dominated by synoptic-scale disturbances.

The role of the human in forecasting the weather, be
it for the next few hours or for up to aweek ahead, has
changed enormously over the last 30 years. Long gone
are the days when the forecaster relied on empirical
rules and some very basic dynamics to predict the next
day’s sea-level pressure pattern and hence the weather.
For some time this part of the task has been carried out
for the forecaster, and, with increasing accuracy, by
numerical weather prediction (NWP) models. For
forecasts up to 36 h ahead serious errors in the
predicted surface pressure and upper wind patterns
are rare. One important advantage that human fore-
casters still have over the numerical model is their
ability to interpret cloud or moisture patterns from
satellites in terms of weather systems. Although the
forecaster cannot normally expect to ‘beat’ the com-
puter at predicting the pressure pattern over a large
area, there is still scope for local adjustments based on

an assessment of the accuracy of the initial conditions
upon which the numerical forecast is based. NWP
models are less accurate when predicting the actual
weather elements such as precipitation amount and
type, cloud amounts, fog, etc. The forecaster’s role has
increasingly become that of interpreting and refining
raw NWP products, especially in terms of weather
elements. However, there are still a few occasions
when numerical guidance can go seriously wrong and
the forecaster must continually monitor the NWP
output for signs of this and be prepared to modify the
whole forecast if necessary.

There are many different roles required of forecast-
ers, depending on who their customers are. They may
be providing central guidance on the synoptic-scale
evolution to other (local) forecasters, or providing
forecasts for the general public (most often via the
media), to the military, to civil aviation or to other
commercial customers and on a variety of time scales.
One common aspect of all these roles is timeliness. A
weather forecast, particularly a short-range forecast,
is a very perishable commodity, and even forecasts for
several days ahead may be subject to adjustment after
12 h, when the next set of NWP products are
produced. It is normally 2–3 h after data time before
NWP products become available to the forecaster and
there is often a further chain of processing and briefing
before the forecast reaches the customer.

AsNWPmodels continue to improve andmesoscale
and single–site models enable more accurate predic-
tion of local weather, the ability of the forecaster to
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add value to the numerical guidance will continue to
decrease, at least on average. The forecaster’s role for
most of the time will become that of interpretation.
However, there will still be rare occasions when the
NWP models produce large errors. Although not
making much impact on skill scores such as rms errors
of mean sea-level pressure (MSLP), these are likely to
be associated with rapidly developing systems that
may produce life-threatening extreme weather events,
and it is in recognizing these occasions that forecasters
will continue to prove their worth.

Central Guidance

Most nationalweather services of developed countries
have a central guidance center whose role is to provide
an interpretation and assessment of the latest NWP
products and to issue warnings of any expected severe
weather likely to be a threat to life or property. Inmany
cases this is extended to guidance on the actual
weather details expected so as to ensure that all
forecasts issued by different offices of the national
weather service are consistent. Because of the time
taken to disseminate the guidance, this is usually for
the period from about 6 h ahead to perhaps 5–7 days
ahead.

Analysis

The first step is for the forecaster to analyze the current
situation.Upuntil a fewyears ago thiswould normally
have involved hand drawing of surface-pressure maps
and upper air height contours. Nowadays computer-
drawn ‘first guess’ charts (usually a 3 or 6 h forecast
from a previous model integration) are nearly always
close enough to reality for the forecaster to use these
along with surface and upper air observations and
satellite and radar imagery to recognize the dominant
weather systems and processes at the current time.
Most NWPmodels are global in extent, but for short-
period forecasts, the forecaster will normally restrict
his or her interest to the forecast region and an area
upstream, though thismay be fairly large (typically the
whole of the North Atlantic for European forecasters
and most of the North Pacific for those in the United
States or Canada). Using conceptual models of these
processes and systems, the forecaster then compares
satellite and radar imagery and surface and upper air
observations with the computer-drawn charts in order
to assess the accuracy of the NWP first-guess fields. If
there is a discrepancy between the NWP field and the
observations, the forecaster will be alerted to a
possible problem with the subsequent forecast. In
most cases, if the difference is small, itwill be corrected

by the numerical analysis scheme and the new analysis
t þ 0 h field of the next model run will be a closer fit to
the observations. However, if the difference between
the observations and the background field is large, the
observations may be rejected by the quality control
procedures. In some centers such as theUKMetOffice,
it is possible for the forecaster to intervene to assist the
quality control scheme make the correct decisions, to
add weight to crucial observations in the assimilation
scheme, and even to invent ‘bogus’ datawhere satellite
or radar imagery suggest the NWP background is in
error, but where there are no real observations in the
area to correct this (see Figure 1 for an example).

Diagnostics

Actual weather elements such as low cloud, fog,
surface temperature, and some details of the precip-
itation, particularly showers, are less well forecast by
NWPmodels than the basic pressure patterns. In order
to be able to addvalue to the raw forecast in these areas
the forecaster has to understand the dynamics of the
large-scale environment in which the smaller-scale
processes are embedded and the way in which the
different scale processes interact. Forecasters have
access tomany diagnostic fields from theNWPmodels
to help them in this task.

As well as surface-pressure maps and upper air
contour charts, most commonly used are model
relative humidity (as a proxy for cloud) for compar-
ison with satellite imagery, and vorticity, vorticity
advection (Figure 2A), thickness (a measure of the
mean temperature between two levels in the atmos-
phere), and thickness advection, at various heights, to
monitor the twomost important aspects of large-scale
flow. Wind strength (Figure 2B) or wind vectors or
barbs are also useful in delineatingmodel jet cores that
can be compared with satellite imagery. Jet cores are
often apparent on infrared images as a linear contrast
between bright areas of cold high cloud on the warm
side of the jet and dry areas of subsided air on the cold
side. These features are even more apparent in water
vapor images. In differentiating between moist and
dry regions of the middle troposphere, these images
give information about the atmosphere in cloud-free
regions and, through the associated changes in hu-
midity, can indicate ascending and descending motion
associated with developing weather systems before
this becomes apparent in other imagery.

Since potential vorticity (PV) has become available
as a diagnostic from most NWP models, the strong
relationship between water vapor imagery and the
distribution of potential vorticity is becoming increas-
ingly used as a tool to check the initial conditions and
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early stages of a forecast. Dark (dry) areas in the image
are associated with high PV in the upper troposphere,
while in dynamically active regions, particularly when
cyclogenesis is taking place, contours of PVon a quasi-
horizontal surface such as a pressure surface or
isentropic surface curve anticyclonically over areas
of ascent and developing cloud. One problem is
picking a suitable surface on which to display the PV,
as the area of interest is usually just below the
tropopause and the associated pressure and potential
temperaturewill varywith the season, currentweather
situation, and geographical location. Using the fact
that PV increases sharply across the tropopause
from around 1�10� 6 m2 s�1 K kg�1 (1 PV unit;
PVU) to around 6 PVU in the lower stratosphere
the problem can be avoided by plotting the height
of a PV surface (usually 2 or 1.5 PVU) that is always
close to the tropopause. An example is shown in
Figure 3.

On some occasions the relationship between the PV
and water vapor imagery can be confused or mislead-
ing, particularly in the very early stages of cyclone
development. If the development is initially taking

place in the low tomiddle troposphere, the image may
show the pattern of ascent and descent before it
influences the PV distribution at higher levels. How-
ever, another diagnostic, so-called ‘pseudo-imagery’,
is becoming available to the forecaster to cope with
these problems. The radiance at the top of the
atmosphere in the water vapor channel is computed
from the numerical model values of temperatures and
humidity and can be displayed either as an image or as
contours of brightness for comparison with the real
imagery. An example is shown in Figure 4. The
comparison of the model PV and the real image
(Figure 4A) shows a possible problem south-west of
Portugal where the numerical model high PV is
associated with low radiance in the water vapor
image, but the pseudo-imagery (Figure 4B) also shows
low radiance in this area, confirming that this is due to
convective cloud penetrating into the otherwise dry
upper troposphere. However, near the center of the
image, to the south-west of the Azores, a small PV
maximum also corresponds to a region of low
radiance in the real image, but in this case the dry,
dark area in the pseudo-image extends south to

Figure1 An example of a VDUdisplay used to checkNWPbackground fieldwith observations and satellite imagery, in this case t þ 6h

background field (blue contours) and t þ 0 analysis (red)MSLP comparedwith surface observations and infrared satellite image over part

of the central North Pacific. Important observations are arrowed. An observation from a drifting buoy (A) has a pressure of 997.0 hPa,

nearly 13 hPa lower than the t þ 6 background. The satellite image supports the idea of a more rapidly deepening low than suggested by

the NWP field, but the ship observation (C) to the south looks unrealistically low, though the 30 knot (15m s� 1) northwesterly wind

supports the ideaof a deeper low to thenorth.Apressure of 1008.0hPa looksmore likely than1000.8;mistakes in coding frequently lead to

this sort of error. To help the assimilation scheme a bogus observation (B) of 1002 hPa and a 40 knot (21m s� 1) southerly wind has been

inserted to the southeast of where the low center was estimated to be. As a result, the t þ 0NWPbackground pressure is amuch better fit

to the real and bogusobservations andmore in linewith the forecaster’s interpretation of the satellite imagery. (Reproducedby permission

of the Met Office.)
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coincide with the PV maximum, suggesting a small
error in the model in this area.

The pseudo-image gives a much closer comparison
with the actual image, but still has to be used with
caution and is best used in conjunction with the PV
comparison. Apparent discrepancies between the two
images may be due only to poor model simulation of
the relative humidity, which may be unimportant in
the subsequent developments. On the other hand, a
close fit can also be misleading, as many NWPmodels
assimilate water vapor radiances. Any adjustment to
theNWP radiance ismostly through the humidity, so it

is possible that this may mask an underlying problem
with the dynamics.

Interpretation

Most global models will distinguish between and
display different types and phases of precipitation, i.e.,
steady rain or snow from large-scale ascent and
showers due to local convection. However, it is still
necessary to refine the NWP output in these areas. For
example, in most models, showers cannot be advected
from their source region and therefore stop abruptly
and unrealistically at windward coasts in winter as the
air transfers from over the warm sea to over cold land.
The extent to which showers penetrate inland will
depend not only on local orography, not fully resolved
by the numerical model, but also on the large-scale
vertical motion. An important aspect of the precipi-
tation in winter is the boundary between, rain, snow,
or freezing rain (ice storms). There is a very fine
balance between these different types of precipitation
when the low level temperature is close to 01C,
depending on the initial vertical profiles of tempera-
ture and humidity, and the balance between thermal
advection and the cooling of the air by evaporating or
melting precipitation,which in turnwill depend on the
precipitation rate. Any of these physical processesmay
be inadequately parameterized, but the correct fore-
cast of the type of precipitation is crucial in issuing
timely warnings of severe weather. The forecaster
must use his or her experience and knowledge of any
weaknesses in the NWP models to try to add value to
the forecast.

Although NWP models indicate the possibility of
strong winds and heavy showers, the forecaster still
has to distinguish those occasions with the potential
for severe weather, such as violent thunderstorms,
tornadoes, hail, and downslope winds, which are not
directly forecast by numerical models, and issue
advanced warnings. In regions where such severe
weather is common, short-period detailed forecasts
are issued locally using specialized models, radar, and
other forecast aids.

Correction

When comparing model fields over the first few hours
of a forecast with observations and satellite and radar
imagery, the forecaster often finds small discrepancies
such as not enough or too much rain in the NWP
output, fronts or rainbands too fast or slow, or
depressions not quite deep enough and hence winds
not strong enough. The forecaster can then apply
appropriate adjustments to the NWP forecast,
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Figure 2 Examples of model diagnostics used to interpret and

understandNWPoutput. (A) 500 hPa geopotential height contours

and absolute vorticity (colors). The forecaster can quickly see

where areas of large vorticity advection contribute to ascending

and descending motion in the model. (B) 250 hPa geopotential

height contours and wind strength (colors). Regions of maximum

wind strength (jets) can be compared with indications of jet axes

from satellite imagery and important dynamical regions at

the entrances and exits to jets and their relative strengths

quickly assessed. (Images courtesy of the NOAA-CIRES Climate

Diagnostic Center, Boulder, CO, USA from their website at

http://www.cdc.noaa.gov/.)
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assuming that these errors persist through the forecast
period or decay or grow in a simple manner. This
technique is effective up to 24 h or perhaps 36 h ahead.
The adjustments are usually made in terms of written
or verbal guidance or by the adjustment of single time
forecast pressure charts, but techniques are becoming
available to adjust electronically the NWP fields
in a dynamically consistent manner at all time
frames before the output is disseminated to other
users.

Very rarely the NWP initial conditions may be so
seriously in error that the forecaster has to disregard
the model guidance and use his or her own synoptic
and dynamic knowledge to make a new forecast.
Figure 5 shows a satellite image for the North Atlantic
on 23 December 1997. Conceptual models of cyclo-
genesis suggest that the cloud area (a) indicates a
rapidly developing depression, whereas theNWP field
showed only a veryweak circulation (b). Although not
a bad fit to the available surface observations, the
analysis and subsequent forecast were considered
completely inadequate, a theory confirmed by the
development of the cloud area in the next 2–3 h. The
forecaster overrode the NWPmodel to forecast a deep
depression just west of Ireland 24 h later (Figure 6).
The manual forecast depression was 16 hPa deeper
than the unmodified forecast and only 3 hPa higher
than the actual depth, though marginally displaced,

and enabled the forecaster to give timely warning of
damaging winds over parts of Ireland and the UK.

Medium Range

Even after 24h, different models sometimes show
significant differences in detail of weather patterns. An
example is shown in Figure 7. Although the forecast
pressure pattern (Figure 7A) is hardly different in the
twomodels, apart fromadeeper troughoverTennessee,
there are large differences in the predicted rainfall over
the west coast of the United States, over Mexico, and
particularly over the south-eastern states (Figure 7B).
The forecaster has to use his knowledge of the
strengths and weaknesses of the two models to help
decide which is more likely to be correct. Beyond
about 36–48 h ahead, errors in the initial conditions or
those due to imperfections in the numerical models
have grown such that forecasts from different initial
times or by different forecast centers normally begin to
differ. It is no longer possible to predict with confi-
dence details or exact timings of weather events,
though the general evolution and type of weather
systems likely to be experienced can usually be
predicted out to 4 or 5 days, and sometimes beyond
this.
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Figure 3 An example of a water vapor image for part of North America overlaid with contours of the height of the PV52 PVU surface

(red) and wind strength on the surface (blue). The strong gradient of PV52 height at the foot of the figure and maximum wind speed

corresponds to the edge of the bright area showing that themodel jet is correctly positionedwhile theminimum in PV52 height just to the

rear (north) of the dark area over the south-east of theGreat Lakes shows that the cold trough (area of high upper level PV) in themodel is

also correctly positioned – reassuring for the forecaster as in the subsequent forecast theses two features interact to form an intense

depression over the Atlantic Ocean. (Image and model fields from the French ARPEGE model supplied by Meteo-France Forecast

Laboratory.)
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At this range it is no longer possible to extrapolate
errors in the initial conditions, nor is it possible to beat
the models at a dynamical forecast, but there is still a
role for the human forecaster. Most large forecast
centers exchange raw NWP output with one or two
other centers for use as backup, so that the forecaster
can usually compare output from two to three ormore
differentmodel integrations for their region of interest
in the same format on screen. In addition to this, the
output from many global models is available via the
Internet, so that the forecaster may have available as
many as 10 different models to choose from. At the
same time, several centers around the world are
addressing the problem of the uncertainty in the initial
conditions and the subsequent error growth by run-
ning ensembles of forecast with slightly different

initial conditions in an attempt to cover all the possible
evolutions of the real atmosphere.

In spite of the inherent uncertainty, many customers
still require a categorical forecast. The mean of the
ensemble of different forecasts is on average more
skillful, at least in rms terms, than an individual
forecast because it averages out the less predictable
smaller-scale features, but by its nature is very bland
and does not give a good indication of the actual
weather. The forecaster must use his or her judgment
and synoptic experience to select most likely evolution
or ‘blend’ elements from different models, the so-
called deterministic forecast.

However, it makes more sense to couch forecasts at
this range in terms of probabilities. Even with the
deterministic forecast, this is done to some extent by
the confidence placed in the forecast. It is important to
try and convey this in public service forecasts. If a
large, slow-moving anticyclone covers the region, the
forecaster may be almost 100% confident of dry
weather, but in a more changeable spell of weather,
even though the most probable forecast is for a
transient ridge of high pressure to bring a dry day,
possible errors in timing couldmean that there is still a
50%chance of rain.Having decided on themost likely
evolution, it is important to convey the degree of
uncertainty associated with this, particularly when
issuing guidance to other forecasters so that they can
couch the forecast for their customers in suitable
terms.

For forecasts of point probability, normally ex-
pressed in terms of the likelihood of a threshold being
exceeded, such aswind speed of gale force ormore, the

Figure 4 (A) An example of a water vapor image overlain with

contours of PV (blue, interval 0.7 PVU) and geopotential height

(yellow, interval 120m) on the 300 hPa surface. (B) Corresponding

pseudo water vapor image with the same fields superposed.

(Image and numerical model fields supplied by Servicio de

Técnicas de Analisis y Predicción (STAP), Instituto Nacional de

Meteorologia (INM) Madrid, Spain.)

Figure 5 Infrared satellite image over part of the North Atlantic

for 1200 UTC 23 December 1997 overlaid with first guess NWP

t þ 6 h MSLP field (contours every 4 hPa). The area of cloud (a)

indicates a rapidly developing depression, whereas the model has

only a weak depression (b). (Reproduced by permission of theMet

Office.)
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ensemble forecast can give a direct estimate. However,
ensembles based on a single model, in spite of
perturbations to the physics within the model as
well as to the initial conditions, still do not cover
the whole spread of possible outcomes. An ensemble
of different models such as accessed by the forecaster
via the Internet often has greater spread (though it is
not uncommon for all models to agree but still differ
from reality). There is also still the problem that the
models may not accurately predict the weather
elements, in spite of having the correct pressure
pattern. There is therefore still scope for the forecaster
to add value to probability forecasts of individual
weather elements, though time will necessarily limit
this to a few crucial parameters at only a few
geographical locations. A logical conclusion is then
for these corrections to the ensemble forecast to be
applied to an appropriate degree at surrounding
locations.

Specialist Forecasts

Aviation

Forecasts for aviation again rely very heavily on NWP
guidance. They can be divided roughly into three types
of forecast.

� High-level significant weather forecasts. These are
forecasts of conditions near the tropopause where
jet airliners fly.

� Low-level significant weather forecasts. These fore-
cast conditions up to around 10 000 ft (3048m),
used by ‘general’ aviation, e.g., private pilots, small
local airlines, military aircraft, couriers, etc.,

� Terminal airfield forecasts (TAFs). These are fore-
casts of surface wind and weather elements at
specific airfields.

Upper-level significant weather charts are produced
centrally by centers designated by the international
Civil Aviation Authority to display jet streams, the
level of the tropopause, and any high-level aviation
hazards, in an agreed format, and are usually valid for
fixed times 18–24 h ahead and are updated every 6 h.
An example is shown in Figure 8. At normal flight
levels, the weather does not often present a serious
hazard to modern airliners. The main concerns for
airlines are the temperature and wind speed, which
will affect fuel consumption. These are generally
forecast very well by NWP models and most compa-
nies take directNWP forecasts ofwinds in digital form
for use in flight planning. Only very rarely will a
forecaster see the need to correct the NWPwinds. The
main hazards at these levels are thunderstorms and
clear-air turbulence, though it is also the responsibility
of weather services to track and warn of volcanic ash.

Figure 6 Infrared satellite image for area over and west of UK for 1200 UTC 24 December 1997 overlaid with 24 h numerical forecast

MSLP (blue, dashed contours) and 24h forecast modified by the forecaster (red contours), contour interval 8 hPa in each case. The

satellite image clearly suggests a deep depression and surface observations confirmed that themodified forecast, of a depression of 976

hPa was much more accurate than the NWP version (990 hPa). (Reproduced by permission of the Met Office.)
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Areas of thunderstorm activity are reasonably well
forecast by theNWPmodels, but it is still necessary for
the forecaster to check and sometimes correct details
such as cloud top height. Forecasters must also use
their experience to decide whether thunderstorms are
likely to be isolated, in which case they are not
considered a hazard, or embedded in other cloud
layers so that they cannot be easily detected, or
difficult to avoid due to their spacing or due to being in
a line. Occasionally the models may misplace or miss
areas of thunderstorms altogether, especially in the
tropics, where a series of recent satellite imagesmay be
a better guide to activity over the next 24 h.

Clear-air turbulence occurs in areas of strong wind
shear, normally around jet streams. It is not associated
with cloud and therefore cannot be detected in
advance, and can be sufficiently violent to cause injury
or even death to passengers or aircrew if not restrained
by seat belts. However, it is a very intermittent

phenomenon and impossible to forecast precisely at
present. NWPmodels provide an indication of regions
of strong vertical or horizontal shearwhere turbulence
is likely to occur, but this is a necessary rather than a
sufficient condition. Forecasters can add value by
using conceptual models of the type of airflow most
likely to lead to actual severe turbulence to refine the
forecast. Areas where a risk of moderate or severe
turbulence is expected are marked on the significant
weather charts along with the range of heights over
which the hazard is expected to extend. However,
most of the time, aircraft flying through these areas
experience no serious problems. For this reason pilots
encountering severe turbulence make an immediate
report, which is relayed to the forecaster, who then
issues a more definite forecast in the form of a
SIGMET. This is a text forecast, which is disseminated
with maximum priority to all aviation users, so that
any following aircraft may take avoiding action or at
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Figure 7 (A) Comparison of 24 h forecasts from two NCEPmodels, valid 0600 UTC 22 February 2001. Solid contours are of sea-level

pressure, every 4 hPa. The colours represent the thickness layer between the 1000 and 500 hPa, a measure of the mean temperature of

the lower troposphere. (B) Comparison of the forecast rainfall accumulations for the same forecasts as in (A) for the 12h up to 0600UTC.

(Images provided by the NOAA-CIRES Climate Diagnostic Center, Boulder, CO, USA from their website at http://www.cdc.noaa.gov/.)
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least ensure seat belts are in use. If a forecaster is
sufficiently convinced of a high risk of severe turbu-
lence he or shemay issue a SIGMETwithout any actual
aircraft reports. SIGMETs are also issuedwhen there is
very high confidence in the forecast of other hazards
such as embedded thunderstorms, line squalls, and
severe low-level turbulence, or when these events are
observed.

Low-level significant weather forecasts are also
mostly produced centrally, but nationally rather than
regionally, and are normally valid for shorter periods,
typically up to 9–12 h ahead, though planning fore-
casts are produced from some centers for up to 36 h
ahead. As well as the thunderstorms and turbulence
(though in this case normally low-level turbulence due
to strong winds flowing over the Earth’s surface), low
cloud (especiallywhere it covers hills) and icing are the
main forecast parameters. Although NWP provides a
framework of the positions of frontal zones, areas of
convection, etc., parameters such as the amounts and
base of low cloud, visibility, and the likelihood of icing

are not well forecast numerically, and the forecaster
reliesmore on experience and extrapolation of present
conditions, subject to any changes in the large-scale
conditions indicated by the NWP models.

The third type of forecast, the TAF, is normally valid
for 9 h ahead, although at major airports, forecasts of
up to 24 h ahead are provided to give airlines an idea of
likely risk of long-haul flights being diverted. Forecast
parameters are wind speed and direction, cloud
amount and height of base and visibility, plus any
weather conditions that may be a hazard, such as
thunderstorms, hail, snow, freezing rain, and mist or
fog, though the latter are also implied by the visibility.
These forecasts have traditionally been produced
locally on site by forecasters who have a great deal
of experience of the peculiarities of the particular
airfield, and are based largely on extrapolation of local
or upstream conditions after allowance for diurnal
changes, and effects of local topography and an idea of
the synoptic-scale development. This is still true in
many cases, especially at military airfields, but
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improved local detail and better estimation of actual
weather parameters frommesoscale numericalmodels
has meant that it is becoming possible for these
forecasts also to be produced centrally with a single
forecaster responsible for theTAFs for a dozen ormore
airfields.

Marine Forecasts

Detailed forecasts of surfacewind speed and direction,
visibility, and sea state are normally provided for up to
24–36 h ahead. For the high seas,well away from land,
numerical models provide a good estimate of all but
visibility, though it may be necessary for the forecaster
to make some adjustments in accordance with any
central guidance on the perceived accuracy of the
latest NWP forecast. Visibility is estimated, within
broad limits, from knowledge of the source of the air
mass, the air temperature relative to the sea surface
temperature (will the air be cooled by the sea to form
mist or fog?), and consideration of recent ship reports
in the same air mass.

Coastal forecasts rely slightly more on local knowl-
edge and interpretation of numerical output around
complex coastlines, as numerical models are not

always detailed enough to represent these effects on
the wind speed and direction or sea state, nor do they
adequately represent small-scale changes in sea sur-
face temperature likely to have an important impact
on mist or fog formation.

Local Forecasts

The local forecaster has to consider the numerical
model output and any corrections thatmay bemade to
this in the central guidance, then adjust the forecast for
any small-scale effects due to local topography that
may not be fully resolved by the numerical model. He
or shewill be concernedwith the combination of these
effects on weather parameters such as rainfall rate,
rain–snow boundaries, cloud amount and sunshine,
temperature, fog, and how they vary across the region.
The forecaster will also have to understand the
synoptic-scale dynamical processes taking place in
order to make sensible adjustments to the numerical
forecast.

Accurate forecasts of temperature at individual sites
are crucial for forecasts of fog, frost, and snow in
winter, and for showers, and in particular thunder-
storms, in summer. The central guidance may indicate
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Figure 9 Radiosonde ascent from Denver, Colorado, at 1200 UTC 29 April 2001. The vertical scale is logarithmic in pressure and

approximates to height. The diagonal pale blue lines are temperature in 1C, every 101. The solid red line shows the temperature profile and

the green line the profile of humiditymixing ratio. The blue line represents the temperature curve of a parcel rising from the surfacewithout

anymixingwith its environment andwith an initial temperatureof 201C.Thesurfacepressure is around830hPabecause thestation is over
5000 ft (1640m)above sea level. (Environmental curve providedby theNOAA-CIRESClimateDiagnosticCenter, Boulder,CO,USA from

their website at http://www.cdc.noaa.gov/. The parcel ascent curve was added by the author.)
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that these weather elements are to be expected over a
broad area, but the local forecaster must estimate the
risk at individual locations. There are several semi-
empirical models available to forecasters to estimate
diurnal temperature changes that can be used to check
and refine NWP output. The forecaster will use
profiles of temperature and humidity from local
radiosonde ascents, plotted on an aerological dia-
gram, to diagnose the type and height of any cloud
layers and assess the likely developments due to
diurnal changes in temperature. The forecaster will
then compare the basic profile and his or her analysis
with those from the numericalmodel, and inparticular
assess the potential for shower or thunderstorm
development. An example is shown in Figure 9. The
solid red line shows the temperature profile and the
green line the humidity mixing ratio, or dew point
temperature. The temperature at the surface is colder
than the air just above as this a night time profile, but
as the temperature at the surface rises during the day
the temperature will become warmer than that just
above the surface and the air will begin to rise.
Unsaturated air will cool as it rises, following the red
dashed lines. At the same time the humidity mixing
ratio will remain constant and the dew point will
therefore follow the yellow dashed lines. In the
example the surface temperature must reach 201C
before the air can rise sufficiently to reach the
condensation level and form convective (cumulus)
clouds. The temperature will fall along the blue line
until the air parcel becomes saturated at the point A,
after which it will cool more slowly due to the
release of latent heat as the water condenses in the
cloud. In an unmixed parcel the temperature would
now follow the dashed green lines. The continuing

blue line therefore gives the maximum height to
which a parcel could rise. In practice, except in
the core of a large cloud, mixing with drier air outside
the cloud will lead to re-evaporation of the some
of the cloud water and the parcel will cool more
quickly and air parcels would be unlikely to rise
beyond the point B, as they would then be cooler than
the surrounding air. However, the forecaster would
have to consider if the air at this level is likely to be
cooled by the large scale motion or if local conditions
could lead to warmer or moister conditions near the
surface. A small changemay allow the air to rise all the
way to the tropopause causing the formation of heavy
showers or thunderstorms (unlikely though in the
example, as the surrounding air is very dry andmixing
would cool the parcel back towards the environment
temperature). The forecaster would check his or her
prediction of showers with the NWP output. If no
showers were indicated, the forecaster would need to
ask why. Does the model surface temperature reach
the required value? Does the model represent the
observed sounding adequately in its initial conditions?
The formation or otherwise of even severe stormsmay
hinge on the detail of a shallow layer of higher
temperature, which may not be resolved by the
numerical model.

See also

Aviation Weather Hazards. Cyclogenesis. Satellite
Remote Sensing: Cloud Properties; Precipitation. Syn-
optic Meteorology: Weather Maps. Turbulence and
Mixing.Weather Prediction:Data Assimilation; Ensem-
ble Prediction.

Weather Maps

R Reynolds, University of Reading, Reading, UK

Copyright 2003 Elsevier Science Ltd. All Rights Reserved.

Introduction

Weather maps provide an irreplaceable, succinct
summary of awide variety of atmospheric phenomena
and characteristics. They are a critically important
working tool for the operational and research mete-
orologist, both of whom become very familiar with
ways of illustrating features of interest that can be
immediately appreciated by their peers. In a sense,

weather satellite andweather radar images aremaps of
aspects of the weather. However, this section will not
deal with remotely sensed fields, but with maps that
portray weather-related features at the surface or in
the upper air.

History

Surface Weather

Weather maps are nothing new. Synoptic meteorology
is concerned with understanding relatively large-
scale weather-producing disturbances like frontal
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depressions, tropical cyclones, and anticyclones –
features that have a horizontal scale ofmany hundreds
to a few thousand kilometers, and a lifetime counted in
days rather than hours.

The earliest instrumental weather records began
soon after the invention of the thermometer and
barometer. Robert Hooke’s manuscript from 1664,
kept at the Royal Society in London, summarized the
keeping of such early observations. He did in fact
appreciate the value of a network of weather obser-
vations, although it would be many decades before
that became a reality. The late seventeenth and early
eighteenth centuries saw the simultaneous use and
gradual expansion of thermometry and barometry to
many western European countries and America. This

was also the age of sail, with many navies plying the
Atlantic Ocean and other oceans.

It was the English natural philosopher Edmond
Halley (1656–1742) who published the very first map
to depict an atmospheric variable, in thePhilosophical
Transactions of the Royal Society of 1686. This was
strictly a climate map, to illustrate the mean surface
winds over the tropical regions of the Atlantic and
Indian Oceans (Figure 1).

The stimulus for producing the first weather map
proper lies with a letter written to the Annalen der
Physik in 1816 by Professor Heinrich W. Brandes of
Breslau University (now Wroczaw University). He
suggested that a daily surface weather map could and
should be produced for part of the period from1781 to

Figure 1 Halley’s map of trade winds and monsoons. (From Halley E (1686) An historical account of the trade winds, and monsoons,

observable in the seas between and near the tropicks, with an attempt to assign the physical cause of the said winds. Philosophical

Transactions of the Royal Society 16: 153–168.)
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1792: this was the era of theMeteorological Society of
the Palatinate, based in Mannheim, Germany. The
society fostered the science during this period when
observations were taken three times a day,
collected from 39 people across 18 mainly European
countries.

It appears however, that this significant pioneering
work was never summarized in map form – until
Brandes’s proposal that led him to plot 365 maps for
1783. These maps have never been found however;
they were not a part of his article on 1783’s weather in
the Annalen of 1819. However, there are published
reconstructions of his weather map for 6 March 1783
that illustrate both the simultaneous distribution of
the departure of pressure from average and surface
winds (Figure 2).

In 1831, the American James P. Espy (1785–1860)
organized a committee from his base in the Franklin
Institute in Philadelphia to collect weather data: in
1834 the Joint Committee on Meteorology was
formed by the Franklin Institute and American Phil-
osophical Society with Espy as chairman. The first
American weather map based on widespread obser-
vations appeared in an 1837 issue of the Journal of the
Franklin Institute (Figure 3).

The prime problem with all these early endeavors
however was that the maps could be drawn only after
the event. They did, though, offer meteorologists at
least some insight into the scale of synoptic features,
how pressure and wind appeared to be related, and
how pressure features moved and evolved.

The full utility of the weather map had to wait
for a truly momentous event for the world as a
whole, when Samuel Morse connected Washington
and Baltimore by electric telegraph in 1844. This
brilliant development paved the way for the ultimate
‘live’ mapping of weather observations and so to

Figure 2 Brandes’s weather map for 6 March 1783 (reconstruc-

tion). (Reproduced with permission from Wilhelm Trabert (1905)

Meteorologie und Klimatologie. Leipzig: Franz Deuticke).
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producing up-to-the-minute weather maps. By
1860, the Smithsonian Institution in Washington,
DC had organized the electronic transmission and
display of current weather reports from some 45
companies in the United States. The details were
presented on a large map on public display in the
institution.

In Europe, some few years earlier, the world’s first
same-day weather maps were being offered to the
public gaze at the Great Exhibition of 1851. This was
held in theCrystal Palace, situated at that time inHyde
Park in London. From 8 August to 11 October the
public could purchase a copy of the day’s weathermap
for the British Isles (Figure 4).

From about 1863, the Daily Weather Map Com-
pany of the Strand, London, offered monthly sub-

scriptions to maps of British and Irish weather
(Figure 5). Across the Channel, Jean Joseph Le Verrier
(1811–77), director of the Paris Observatory, founded
a daily weather summary for mainly France in 1858.
From September 1863, the bulletin of the Paris
Observatory included a daily weather map.

On 1 April 1875, the London newspaperThe Times
initiated the presentation of a daily weather map to a
much wider public. It published a chart of 8 a.m.’s
weather for the previous day over the British Isles and
parts of continental Europe that included plotted
details of temperature, wind direction, ‘weather’, sea
state, and analyzed isobars.

The first regularly published daily weather map in
the United States appeared in the New York Daily
Graphic on 9May 1879, although this initiative lasted

Figure 4 Daily weather map, Great Exhibition, London, 1851. (Met Office Library.)
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only a few years. By the final decade of that century
however, many daily papers around the world had
incorporated a weather map.

The gradual increase in the number of nations
publishing ‘government’ weather maps led to the
desirability of some sort of internationally accepted
standardway todepict or symbolize the broad rangeof
surface observations. Although such a standard was
accepted at the InternationalMeteorological Congress
in Vienna in 1873, it was not to be globally accepted
for some decades.

By 1891 at least, some 18 countries – mainly in
Europe – were publishing government-service synop-
tic weather maps. As the surface weather network
expanded, so did the area covered by weather maps.

From 1 January 1914, the US Weather Bureau
published surface weather maps for the entire North-
ern Hemisphere routinely. AfterWorldWar I, many of
theworld’sweather services were producing their own
analyses on this scale.

In postwarNorway a group of brilliant scientists led
by Vilhelm Bjerknes (1862–1951), now known as the
‘Bergen School’, worked on the analysis of weather
changes associated with the passage of traveling
synoptic-scale disturbances in that region. The group
refined some of the work from the previous century in
which the notion of pulses of warm and cold air in the
extratropics had been discussed. They developed the
concept ofwarm and cold fronts, and themore general
structure of the commonplacemobile frontal cyclones.

Figure 5 Daily Weather Map Company’s map accompanying their promotional material (c. 1863).
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Jacob Bjerknes (1897–1975) and Halvor Solberg
(1895–1974) published a highly significant ‘map’ of
such a system in 1922 (Figure 6).

Another member of the school, Tor Bergeron
(1891–1977), proposed the term ‘occlusion’ and the
currently used symbols for the three types of surface
fronts. In addition he suggested the used of slightly
different symbols for upper fronts.

This exceptional work on the structure and
evolution of extratropical frontal cyclones – and
the location and representation of such fronts on
surface weather maps – formed the basis for how all
the world’s weather services located these critically
important features. The methods have moved on, so
that in the UK Met Office, for example, objective
schemes are utilized for the automatic positioning of
fronts – or at least for providing useful guidance to the
analyst.

Upper-Air Weather

During the 1890s, Frank Bigelow of the then US
Weather Bureau composedwind charts for three levels
covering the contiguous United States. He did so by
analyzing surface anemometer data along with lower
and upper cloud drift observations supplied from 140
telegraphic stations. The cloud information was taken

to represent the circulation at 3500 and 10000 feet
(1067 and 3048m), so that early ‘upper air analyses’
were made available before the year 1900. It was as
early as 1903 that Bigelow began the publication of
daily barometric pressure charts for the two constant
levels above and for that of mean sea level (Figure 7).

A supplement to these observationswas provided by
the use of kites. These sensed pressure, temperature,
humidity, and wind speed up to a height of some 3 km
but were replaced in the 1930s by pilot balloons. Such

Figure 6 Vertical cross-sections and plan view of an open wave

frontal depression. (Reproduced with permission from Bjerknes J

and Solberg H (1922) Life cycle of cyclones and the polar front

theory of atmospheric circulation. Geofisiske Publikationer 3(1):

3–18.)

Figure7 Barometric pressure analyses formeansea level, 3500

feet (1067m), and 10000 feet (3038m). (Reproduced with

permission from Bigelow FH (1903) IV. The mechanism of

countercurrents of different temperatures in cyclones and anticy-

clones.Monthly Weather Review 31: 26–29.)
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balloons were tracked optically to enable mapping of
wind direction and speed at a variety of heights – so
long as cloud didn’t mask the observer’s view.

This significant problem was overcome during the
next two decades with the advent and gradual spread
of radio-trackedballoons knownas radiosondes. They
transmitted ‘live’ data to their ground launch station
from their pressure, temperature, and humidity sen-
sors, and were tracked by radar to derive wind
information. Today there are some 600 to 650
unevenly scattered radiosonde stations globally that
report pressure, wind, temperature, and humidity
twice daily.

Modern Surface Weather Maps

It is true to say that the way in which the surface
weather features like highs, lows, and fronts are
represented on today’s analysis charts is not very
different from those of the interwar years of the
twentieth century. There has been an extension of the
symbolism to include frontogenesis and frontolysis,
and greater appreciation by forecasters of the variety
of, for example, cold fronts. The advent of weather

satellites and radars has aided our knowledge of the
variety of frontal structure – and this appreciation has
led to the need to inform forecasters of the differences,
for example, between ‘ana’ and ‘split’ cold fronts. The
latter would be ideally represented on a weather map
by a surface cold front symbol anda leading upper cold
(humidity) front symbol.

The use of supercomputers in weather analysis
and forecasting has opened up a massive array of
surface weather representations that are mapped
automatically. The ‘classic’ map of mean sea-level
isobars is still produced as a global analysis.
Figure 8 exemplifies these for the larger part of
the Northern and Southern Hemispheres, from the
European Centre for Medium-Range Weather
Forecasts (ECMWF). Larger-scale maps illustrate
predictions of the mean sea-level pressure field,
as well as a derived field. Figure 9 is a map of the
prediction of mean sea-level pressure, valid at 12UTC
at the end of a 48 hour forecast, and of total precip-
itation during the last of the two days (00 to 24UTC).
The isobars thus provide a snapshot of likely condi-
tions at one instant, while the precipitation patterns
are expressions of the rain, drizzle, or snow that
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is forecast to fall from disturbances over the whole
24-h period in question.

As an extra aid to operational meteorologists, it is
possible also to indicate the likelihood that the 24-h
precipitation total will exceed some critical value.
Figure 10highlights three such criteria: the probability
(5%, 35%, 65%, and 95%) that the total fall over 24 h
will exceed 1mm, 5mm, and 10mm. Similarly, Figure
11 illustrates the same probability values for the 10m
wind speed to exceed 10m s� 1 and 15m s� 1. The
latter falls just inside the category of ‘gale’.

Modern Upper-Air Maps

As with weather maps for the surface, the range of
charts available for the representation of upper-air

features has increased dramatically over the last
decade or so.

There are still the ‘traditional’ synoptic maps. At
ECMWF, for example, the predicted height field for
the 500 hPa surface is charted as it has been for many
decades (Figure 12). The contemporaneous thermal
field at 850 hPa illustrates the large-scale waves of
relatively warm and cold air in the lower troposphere.
As with some surface phenomena, the model can
provide indications of the extent of, for example,
predicted 850 hPa anomalies that are greater than
74K and 78K (Figure 13).

An innovative synoptic map produced by ECMWF
is that of the predicted cloud cover for low, medium,
and high levels. Such maps are provided in daily time
steps, valid at 1200 UTC, and in essence give a broad

Figure 10 Probability of predicted 24-h precipitation exceeding (A) 1mm, (B) 5mm, and (C) 10mm. (Reproducedwith permission from

the European Centre for Medium-Range Weather Forecasts.)

2238 SYNOPTIC METEOROLOGY / Weather Maps



H

H

H

L

L

H 35

5 H

H

H

H5

H

(B)(A)

Figure11 Probability of predicted24-h 10mwind speedsexceeding (A) 10ms� 1 and (B) 15ms� 1. (Reproducedwith permission from

the European Centre for Medium-Range Weather Forecasts.)

60 W

40 W

20 W 0 20 E

40 E

60 E

60 E40 E20 E020 W40 W60 W

_
8

528

L

588

_
8

576

564

0

552

516

_16 _ 16

_ 8

H
528

528 540

55
2

0

L564

552

0

L

60  N

528

540

552 40  N8

56
4

_
8

576

_
8

Figure 12 Predicted 850hPa temperature (degC) and 500hPa height (dm). (Reproduced with permission from the European Centre

for Medium-Range Weather Forecasts.)

SYNOPTIC METEOROLOGY / Weather Maps 2239



indication of what a satellite image might look like at
each of these times. They act as another indicator for
the forecaster – of whether a particular weather-
producing system is composed of deep cloud or
shallow cloud, for instance (Figure 14).

It is not possible to illustrate the truly enormous
range of weather maps available to today’s forecaster.
The fact is that some charts have stayed the same over
many decades, and for good reason. The mean sea-
level isobaric and frontal analysis has stood the test of
time: there have been extensions of the symbolism
used as our knowledge of the variety of fronts has
improved. There has not been the need to abandon
these representations for something better. Similarly,
the standard upper-air isobaric height analyses are still
among the working charts that operational meteorol-
ogists use.

What is different nowadays, however, is
that a whole host of analysed or forecast fields
that are a particular forecaster’s favorite can be
called up at the press of a button. What might
be chosen can depend on the situation at hand,
and must of course be used profitably within the
strict time confines of the operational forecast
cycle.

This is the critical change to the production
and utility of weather maps today. It is that they
can be provided automatically, rapidly, for a
larger range of basic or derived fields, and can be
overlain with satellite images, for example. This
‘‘richness’’ can not only aid the forecaster’s day-to-
day operations but also gradually improve their
knowledge and understanding of the phenomena to
hand.
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See also

Frontogenesis. Fronts. Observation Platforms: Bal-
loons. Radar: Cloud Radar; Precipitation Radar. Radio-
sondes. Satellite Remote Sensing: Cloud Properties;
Precipitation; Surface Wind; Temperature Soundings.
Synoptic Meteorology: Forecasting. Weather Predic-
tion: Ensemble Prediction.

Further Reading

Monmonier M (1999) Air Apparent: How Meteorologists
Learned to Map, Predict and Dramatize Weather. Chi-
cago and London: University of Chicago Press.
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Introduction

The term teleconnection is often used in atmospheric
sciences to describe the climate links between geo-
graphically separated regions. The remote region need
not exhibit fluctuations of the same sign in order to be
‘teleconnected’. In fact, the interesting teleconnections
often involve contemporaneous variations of opposite
signs. Climate analysis is facilitated by the construc-
tion of a teleconnection map, which describes the
linkage between a region of interest (a base point) and
all other points in the domain that are farther than the
de-correlation length scale of the variable. Telecon-
nection maps thus provide information about the
structure of recurrent climate variability that is char-
acterized by the correlation-at-a-distance feature. The
maps are useful because climate variability often
manifests itself with such structure: For example,
winter variations in temperature and rainfall over
southern Europe and the Iberian peninsula are fre-
quently opposite to those over northwestern Europe
and Scandinavia.

Teleconnection maps were first constructed for
meteorological parameters measured at the Earth’s
surface, such as the atmospheric pressure. The
selection of the base point is a critical first step,
and was historically guided by the investigator’s
insights and interests. Today, base points can be
selected more objectively, and the robustness of
teleconnection maps can be ascertained by in-
dependent analysis. The statistical correlation
of the fluctuations provides a measure of the tele-
connection strength. The structure and strength
of the teleconnection patterns change with season,
altitude, choice of variable, and even temporal
averaging of data. There are interesting differences
between the hemispheres too, in part due to the
more zonal nature of the Southern Hemisphere circu-
lation. Teleconnectivity in the Northern winter circu-
lation has been extensively analyzed, and
teleconnection patterns are well established only for
this season.

Climate teleconnections are constructed from
observations that have been averaged in time over
a period that is long enough to suppress the day-to-day
weather fluctuations, but short enough to retain
the seasonal-to-interannual component of climate
variability. Monthly averages have typically been

used since a month is longer than the period of
most large-scale synoptic waves in the troposphere.
Climate teleconnections thus highlight the ‘‘standing’’
component of low-frequency variability – one with
geographically fixed nodes and anti-nodes. The
connectivity of remote regions manifest in the
teleconnection maps indicates the potential signifi-
cance of remote forcing in the generation of regional
climate anomalies. A teleconnection map based on
contemporaneous correlations however cannot, by
itself, discriminate between the forcing and response
regions.

Although the structure of the prominent tele-
connection patterns has been known for sometime,
the reasons for their origin are not yet well under-
stood. For example, the mechanisms that excite
and sustain the North Atlantic Oscillation (NAO) –
one of the notable and earliest discovered patterns –
are still being actively investigated. In the context
of such investigations, it has been questioned if
the teleconnection patterns which are, typically,
regional (e.g., NAO) robustly portray the spatial
structure of variability from the viewpoint of
elucidation of the underlying processes and inter-
actions.

Such concerns are relevant since the canonical
teleconnection patterns typically represent the
mature phase of variability. The mature-phase
patterns, however, need not resemble the nascent-
phase structure, which may be more revealing of
the excitation mechanism. Identification of the
evolution process from analysis of the mature-
phase structure is thus difficult. The spatial imprint
of variability captured by a teleconnection pattern
can also be ineffective in revealing the underlying
mechanisms if the region in question is the locus
of two temporally independent physical and/or dy-
namical processes.While cautionary, these remarks do
not call for a radically new analysis paradigm. Instead,
they point to the need for more comprehensive
analysis of variability, particularly in the spatiotem-
poral domain, to facilitate insights into the evolution-
ary process.

Analysis Method

Teleconnection patterns can be extracted from corre-
lation analysis and from the calculation of principal
components, among other techniques. Both methods
have been widely used in climate research, and each
offers some advantages.
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Correlation

Correlation analysis is themore straightforward of the
two methods. Consider a meteorological field such as
geopotential height which denotes the height of an
isobaric surface in the atmosphere. Geopotential
height, f, is a function of longitude and latitude, and
assume that it is defined atM grid points;fi represents
height at the ith longitude–latitude grid point. Geo-
potential height is also a function of time, and its
monthly mean value is assumed to be available for
several winters (N winter months). Interest in the
variability of climate leads to the consideration of
departures of monthly mean heights from their calen-
dar month climatologies, with the prime denoting the
departures; f0

i; k represents the height departure at the
ith grid point in the kth month. The correlation in
height departures at two grid points, i and j, is denoted
by Hij, and defined as

Hij ¼
PN

k¼1 f
0
i; kf

0
j; kPN

k¼1 f
02
i; k

� �1=2 PN
k¼1 f

02
j;k

� �1=2
Knowledge of the correlationmatrix,H, can be used to
construct a teleconnectivity map ðTiÞ which object-
ively identifies the base points associated with various
teleconnection patterns. The map is constructed by
associating the magnitude of the strongest negative
correlation between a grid point and all others with
that grid point, i.e.,Ti ¼ jmost negativemember in the
ith row of the correlation matrix Hijj. The local
maxima in this map identify potential base points.
Linkage between the neighboring base points can be
ascertained by examining the sites of their strongest
negative correlations. A cluster of linked base points
constitutes the core of the teleconnection pattern, and
many of the prominent patterns can be identified using
this technique.

Teleconnection Map

Climate teleconnections were first investigated in the
sea-level pressure field. Sea-level pressure is however
an ill-defined quantity over land, particularly near the
mountains; it can moreover be influenced by local
meteorological processes. Teleconnectivity is thus
better probed in upper-air data, which became avai-
lable since the mid-to-late1940 s. The preferred ana-
lysis variable in recent decades has been the geopo-
tential height – a measured quantity whose horizontal
and vertical gradients are proportional to thewind and
temperature, respectively. The Northern winter is the
focus of attention here since teleconnection patterns
have been identified with some certainty for only this
season.

Figure 1 shows the teleconnectivity in Northern
winter height fluctuations at the 500 hPa level. The
map is constructed from correlation analysis of the
December, January, and February height anomalies.
The analysis period (1962/63–1976/77 winters) and
domain (20–901N) are chosen to follow closely the
pioneering study of Wallace and Gutzler which intro-
duced this objective method for identifying telecon-
nections. The only difference between that study and
the present one is in the slight differences between the
analyzed data sets. Since the operationally produced
(theirs) and retrospectively analyzed (ours) data sets
differ primarily in their representation of divergent
circulation, the height field – a rotational component –
is expected to be minimally different in the two data
versions. Not surprisingly, Figure 1 is a close repro-
duction of the teleconnection map shown in Figure 7B
of Wallace and Gutzler.

Four base points exhibiting equally strong negative
correlations with remote regions are identified over
the Pacific in the above analysis: the two in the eastern
Pacific – one southward of the Aleutian and the other
westward of Hawaiian Islands – are linked to the local
maximaover north-westernCanada and south-eastern
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Figure 1 Teleconnectivity in geopotential height fluctuations of

the 500 hPa pressure surface. Monthly fluctuations poleward of

201 N are analyzed in Northern winter (December, January, and

February) during December 1962–February 1977.The telecon-

nectionmap is produced by plotting themagnitude of the strongest

negative correlation between a grid point and all other points at the

‘base’ point. The correlation magnitude is contoured with an

interval of 0.15, and only values greater than 0.6 are contoured.

Light and dark shading represents values above 0.6 and 0.75,

respectively. Values at the local maxima are shown. White lines

connect the geographical regions that are ‘teleconnected’. Points

A–D define the Pacific/North American pattern of variability.
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United States, and the four centers together define a
spatially extended and prominent teleconnection
called the Pacific/North American (PNA) pattern. In
contrast, the two centers in the western Pacific – one
over theKamchatkapeninsula and the other extending
longitudinally in the subtropics – define a more
regional pattern, called the Western Pacific pattern.
This meridionally dipolar, mid-tropospheric height
pattern is associated with fluctuations in the position
of the Asian-Pacific jet, and linked at the surface to a
long known pattern in sea-level pressure variability,
the North Pacific Oscillation. An Atlantic counterpart
is also evident in Figure 1: a meridional dipole in mid-
tropospheric height variability between the subtropics
and higher latitudes, which is also associated with a
well-known pattern of sea-level pressure variability,
the NAO.

Correlation analysis can yield the structure of
teleconnection patterns, but does not provide infor-
mation on temporal variability of their amplitude. An
index for amplitude variations can however be con-
structed using the magnitude of fluctuations at the
base points. Since the base points constituting a given
pattern do not all produce comparable anticorrelated
remote responses, their contributions to the pattern
index need not be equally weighted, although this
option is exercised here in the interest of comparison
with earlier studies. The PNA index is thus defined as

aPNAðkÞ ¼ 1

4

f0
A;k

SA
� f0

B; k

SB
þ f0

C; k

SC
� f0

D; k

SD

 !

where A, B, C, andD are themarked base points of the
PNA pattern (Figure 1). The contribution of every
other base point is negatively weighted in the index
definition since the base points are anticorrelated with
their immediate neighbors. Si in the above definition
denotes the standard deviation of height anomalies at
the ith longitude–latitude grid point, i.e.,

Si ¼ 1

N

XN
k¼1

f0
i;kf

0
i; k

 !1=2

PNApattern of variability The variability associated
with the PNA teleconnection pattern is shown in
Figure 2. The PNA index (aPNA) is shown in panel D,
while its regression on the 500 hPa height and sea-level
pressure fields are shown in panels A and B. The PNA
teleconnection is associated with robust height
anomalies over Northern Pacific and Northwestern
Canada. In the positive phase, geopotential height is
lower over the North Pacific, implying the presence
of anomalous westerlies over the midlatitude Pacific,
from geostrophic balance. This is tantamount to an

anomalous eastward extension of the climatological
Asian-Pacific jet. The sea-level pressure anomalies
(panel B) are impressive over theNorth Pacific where a
deep trough (47 hPa) is centered just south of the
Aleutians, but the anomalies over land are more
modest. In both cases though, the anomalies are in
phasewith the 500 hPa height features, pointing to the
vertically coherent structure of PNA variability in the
troposphere.

The pattern’s linkage with sea surface temperature
(SST) is shown in panel C. As the signal extends into
the Tropics where the variance of SST is stronger,
correlations are shown instead of regressions in order
to convey the significance of the PNA linked SST
anomalies. The PNA pattern is evidently linked more
strongly to SST variability in the extratropical Pacific
basin, where correlations reach 0.6. The absence of
strong linkage with tropical Pacific SSTs, along with
temporal variations of the PNA index, particularly the
changes in sign within a winter season in several of the
years, indicates that PNAvariability is not related to El
Niño Southern Oscillation (ENSO) variability. In the
analyzed 15 years, ENSO variability was strong
during 1966 and 1973 (El Niño winters) and 1971,
1974, and 1976 (La Niña winters). Inspection of
Figure 2D however shows the index variations to be
unremarkable in these years, further indicating that
PNA and ENSO variabilities are unrelated, at least in
their mature phases.

The presence of significant SST correlations in the
Pacific basin raises the issue of air–sea interaction: are
SST anomalies in the eastern midlatitude Pacific,
specially along the US and Canadian west coasts,
produced by atmospheric forcing or by processes
internal to the ocean?Thequestion is investigated later
from analysis of lead/lag relationships between at-
mospheric and oceanic fields, but some insight can be
obtained from the structure of contemporaneous
variability and knowledge of climatology. For in-
stance, the longitudinal collocation of the sea-level
pressure trough and cold SSTs (Figure 2) suggests that
SST cooling can result from the impact of strength-
ened westerlies on heat fluxes and vertical mixing at
the ocean surface. The counterclockwise circulation,
which strengthened surface westerlies on the equator-
ward flank of the trough, also strengthens the south-
erlies (i.e., coming from the south) over the far eastern
basin. These winds can generate strong downwelling
in the coastal zone, and shield the upper layers from
the influence of cold subsurface water. Thus, SST
warming along the North American coast (Figure 2C)
can also be produced by atmospheric forcing. While
plausible, these ideas need to be corroborated from a
more careful analysis of the evolution of PNA varia-
bility, which is pursued later.
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Stability of the teleconnections The map shown in
Figure 1 identifies the prominent teleconnections in
winter height fluctuations in the Northern extratrop-
ics. Interestingly, the characteristic mid-tropospheric
height pattern associated with ENSO variability is not
one of them. Since this pattern is not very strong, and
because it spans the PNA region – the home of a
number of leading teleconnection patterns – its iden-
tification from correlation analysis is, evidently, chal-
lenging. Is this because height fluctuations in the
Tropics were not simultaneously analyzed in investi-
gation of teleconnectivity? The issue is examined by
repeating the teleconnection analysis, but this time in
an expandedmeridional domain (0–901N) and period
(1958–98). Fluctuations in the Northern Tropics are
included to see if this leads to identification of the
ENSO-related height pattern. The expanded analysis
period, covering 40 winters, on the other hand, will

allow an assessment of the stability of the teleconnec-
tion patterns. Results from the new analysis are
displayed in Figure 3. Except for some movement of
the base points, the major teleconnections are all
present in the new analysis. The PNA teleconnection
has lost the base point near Florida, and its Pacific
Northwest center is now somewhat eastward of its
earlier position. The NAO pattern is less perturbed,
with only a 10–151 eastward shift in its subtropical
center. It is noteworthy that despite the inclusion of
tropical fluctuations in the analysis, the ENSO-related
height pattern remains unidentified.

The 500 hPa height anomaly associated with PNA
variability in the extended period analysis is shown in
Figure 4A. It is obtained, as before, by regression,
except that the PNA index in the new analysis is
constructed from height data at only three base points
(A–C in Figure 3). Notwithstanding this difference,
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Figure 2 Variability associated with the Pacific/North American teleconnection pattern during 1962/63–1976/77 winters: (A) 500 hPa
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the two anomaly patterns (Figures 2A and 4A) are
quite similar, attesting to the robustness of the PNA
pattern and the analysis technique. The similarity can
also be gauged by examining the pattern differences,
shown in Figure 4B. Height differences are significant
only over north-eastern Pacific and Canada, where
they track the nodal lines of the PNA pattern. The
pattern features over North America are, consequent-
ly, somewhat eastward shifted in the extended period
analysis.

Atlantic sector teleconnection pattern The telecon-
nection in the Atlantic sector (Figure 3) represents a
meridional dipole in height variability between the
subtropics and higher latitudes. The teleconnection
index is shown in Figure 5D, while its regressions on
mid-tropospheric heights and zonal wind, and the sea-
level pressure are shown in Figures 5A–C.

The 500 hPa height anomalies, shown in panel A,
are confined largely to the Western hemisphere. Since
the gradient of geopotential height is proportional to
geostrophic wind, the variability is prominently man-
ifest in the Atlantic jet structure, notably, though tilt
changes in the jet-exit region. The mid-tropospheric
height pattern is linked at the surface with an equally
coherent, basin-wide fluctuation in sea-level pressure
(panel B), which is largely in phase with the height
pattern aloft. It is this sea-level pressure pattern, and

its implication for the direction of near-surface winds
over Europe, that is the basis for the long-standing
interest in this teleconnection pattern. In the displayed
phase, south-westerly flow impinges over western
Europe, leading to more moderate and wetter winters
in that region. In the opposite phase, near-surface
winds are more zonal, and milder and wetter condi-
tions prevail further southward over the Iberian
peninsula. Not surprisingly, the amplitude and phase
of this teleconnectionhasbeenmonitored forwell over
a century, from the difference of sea-level pressure
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Figure 3 Teleconnectivity in geopotential height fluctuations

of the 500 hPa pressure surface. As in Figure 1, except

that fluctuations are analyzed in an expanded meridional domain

(01–901 N) and period (1958–98). The correlation magnitude is

contoured with a somewhat smaller interval of 0.1, and dark

shading now represents values above 0.7.
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Figure 4 (A) 500 hPa height anomalies associated with the PNA

teleconnection pattern during 1958–98 winters. (B) Difference in

the PNA height anomalies of the two periods. The contouring

interval and convention is the same as in Figure 2A.
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variations at Ponta Delgada, Azores and Sty-
kkisholmur, Iceland; both stations are marked in
Figure 5B using solid dots. It is noteworthy that these
stations, chosen on the basis of historical surface
analysis, are so well positioned with respect to the
centers of the sea-level pressure pattern obtained from
regression of the 500 hPa based teleconnection index.

Another view of variability associated with this
teleconnection pattern is shown in Figure 5C, which
depicts the zonally averaged zonalwind fluctuations in
the mid-troposphere. This integrative, hemispheric
view suggests that althoughvariability is focused in the
Atlantic sector, the polar vortex structure is also
affected. The fluctuation depicted in Figure 5Cwould
result in meridional contraction of the vortex, and the
similarity of the mid-tropospheric and sea-level pat-

terns indicates that vortex contraction is occurring at
other vertical levels as well. Expansion and contrac-
tion of the polar vortex have been reckoned to be key
contributors in the generation of weather and climate
variability on the basis of meteorological analysis
dating back to the mid-twentieth century. These ideas
are currently being reevaluated using vastly more
complete sets of surface and upper-air observations,
and the ‘annular’ viewpoint remains attractive, at
least, in facilitating elucidation of the underlying
processes and interactions. This is not surprising since
the zonal-mean zonal flow has played a key role in
advancing our understanding of the generation of the
wavy component of the flow: hydrodynamic instabil-
ity of the zonal-mean zonal flow provided an expla-
nation for the occurrence of synoptic-scale wave
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century-long index for the NAO. Note that polar–stereographic projections in panels A and B begin at 151 N instead of the Equator as in

earlier figures.
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disturbances, while this flow’s interaction with the
zonally asymmetric features at the Earth’s surface
yielded an explanation for the presence of stationary
waves in the climatological winter circulation.

An index for the Atlantic teleconnection, con-
structed from height anomalies at the Atlantic base
points (Figure 3), is shown in Figure 5D; the monthly
500hPa anomalies at each point are normalized before
taking the difference, as for the PNA index. The
Atlantic teleconnection index, like its PNA counter-
part, changes phase within a winter season in almost
half of the analyzed winters. On the other hand, the
phase can also remain unchanged across contiguous
winters: for instance, the phase is negative during
1967/68–1970/71 and positive during 1988/89–1994/
95. In addition to intraseasonal variability, the Atlan-
tic index exhibits variations on the decadal time scales,
with a positive trend from 1978/79 to 1990/91.

RelationshipwithNAO TheNAO is one of themost
well-known and earliest discovered teleconnection
patterns. Itwas identified from the analysis of sea-level
pressure fluctuations in boreal winters, and generally
refers to the basin-wide, meridional dipole pattern of
sea-level pressure variability in the extratropical
Atlantic. The extent of linkage between the surface
and upper-level variability patterns is probed in this
section, after characterization of NAO variability.

The NAO has recently been defined using Hurrell’s
monthly index, which is constructed from the differ-
ence of normalized sea-level pressure anomalies at
Ponta Delgada, Azores and Stykkisholmur, Iceland.
The calendarmonth standard deviations for the 1865–
1984 period are used in normalization of the station
data. The monthly NAO index is available from
NCAR (http://www.cgd.ucar.edu/Bjhurrell/nao.html),
and is plotted in Figure 6D after scaling by a constant
factor (0.327) so that its standard deviation in the
displayed period is the same as that of the Atlantic
teleconnection index (Figure 5D). The NAO index
also exhibits variability on both intraseasonal and
decadal time scales. However, unlike the Atlantic
teleconnection index, an upward trend in the 1970s
and 1980s is not as evident, in part due to negative
excursions of the index during 1985–88. Not surpris-
ingly, the correlation between the twomonthly indices
is only 0.645.

The NAO index regressions on sea-level pressure
are shown in the top panel, alongwith the twodefining
stations. The station-based index is, evidently, effec-
tive in capturing the basin-wide, meridional dipole
pattern of pressure variations – a pattern similar to
the sea-level pressure anomalies shown earlier in
Figure 5B. The difference between the two patterns
is subtle, and best appreciated by noting the displace-

ment of features with respect to the defining stations:
the NAO pattern is meridionally tighter, and some-
what eastward displacedwith respect to the other. The
NAO index regressions on near-surface temperature
are shown in Figure 6B. The 850 hPa temperature is
regressed since the field is noisier at lower levels due to
inhomogeneities at the Earth’s surface, notably oro-
graphy. The regressions reveal a coherent, large-scale
pattern ofwarming and cooling in themiddle and high
latitudes. Warming occurs in regions where anoma-
lous winds are from the south, i.e., southerly, for these
winds bringwarmth from the lower latitudes. Regions
of strong southerly flow can be identified from the sea-
level pressure pattern since winds are nearly geo-
strophic, i.e., almost tangential to the isobars, with
lower pressures to the left in the Northern Hemi-
sphere. An inspection of Figure 6A suggests thatwinds
will have a southerly component over much of North
America, and evenmore so over north-westernEurope
and Eurasia – the very regions with positive 850 hPa
temperatures in Figure 6B. North Africa, on the other
hand, is under the influence of clockwise circulation,
which generates northerlies and cold advection along
the eastern edge of the subtropical high-pressure cell,
leading to cooling over North Africa.

The SST correlations of the NAO index (Figure 6C)
are confined primarily to the north Atlantic, and are
modest in magnitude; the maximum amplitude is only
B0.4, and reached near the southern tip ofGreenland.
A characteristic feature of the NAO SST pattern is the
presence of three north-eastward oriented bands of
alternating signs between the Equator and Greenland
in the western/central basin. The SSTwarming off the
European and Scandinavian coasts is comparatively
modest but consequential for the downstream climate
impact: in addition to the warm advection from
southerlywinds, marinewesterlies can lead towarmer
and wetter conditions over downstream landmasses,
especially in the presence of warm SSTs along their
west coasts. If SST warming was itself generated by
surface wind anomalies – a distinct possibility – then
ocean–atmosphere interaction would have served to
enhance the climate impact that would have otherwise
resulted. But the direction of air–sea interaction, and
the role of tropical and extratropical SSTanomalies in
the generation of NAO variability, remains contro-
versial. Even so, it is worth noting that while the SST
pattern can be reasonably understood as arising from
the influence of surfacewinds anomalies on heat fluxes
and vertical mixing at the ocean surface, it is more
difficult to understand how the Atlantic SST pattern
can generate the NAO circulation anomalies.

Correlations of the NAO index with the monthly,
land-station precipitation are shown in Figure 7A. For
consistency with earlier analysis, only the 1958–98
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portion of the global, gridded (3.751 longitude by 2.51
latitude) data was correlated. The data set was
developed by Hulme at the Climate Research Unit
of the University of East Anglia, and is available
from http://iridl.ldeo.columbia.edu/SOURCES/.UEA/
.CRU/.Hulme/Global/. The correlation magnitude is
strongest (B0.6) over the Iberian peninsula andnorth-
west Europe, particularly Scandinavia. NAO’s impact
on western European hydroclimate can thus be char-
acterized as a meridional dipole distribution, with
warmer and wetter conditions to the north and colder
and drier conditions over southern Europe and north-
ern Africa in its positive phase. NAO’s impact on
North American winter precipitation, in contrast, is
muted, with correlations B0.2, but the correlation
structure is, evidently, coherent.

Another manifestation of NAO variability is the
meridional shift of stormtracks – the preferred paths of
synoptic weather systems in the midlatitudes – in the
north Atlantic. Latent heating due to precipitation is
the primary contributor to stormtrack heating. The
heating is strongest near the surface and diminishes
rapidly with height. Heating at 850 hPa is used as a
marker of stormtracks here, and the anomaly associ-
ated with NAO variability is shown in Figure 7B. The
heating is diagnosed, residually, from the thermody-
namic equation and the US National Centers for
Environmental Prediction (NCEP) reanalysis data for
1958–98. (Note that residual diagnosis provides an
estimate of diabatic heating that is sensitively depend-
ent on the quality of atmospheric data, particularly
the divergent flow component. As such, estimates
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Figure 6 Variability associated with the NAO: Hurrell’s monthly NAO index is shown in the bottom panel. It is scaled to have the same

standard deviation as the Atlantic teleconnection index (cf. Figure 5D) during winter, to facilitate visual comparison. The regressed sea-

level pressure and 850 hPa temperature anomalies during 1958–98 winters are contoured in panels A and B, using 1.0 hPa and 0.51K
interval, respectively. Ponta Delgada, Lisbon and Stykkisholmur, Iceland – the two stations used in the definition of the NAO index – are

shown in panel A by solid dots. The sea surface temperature correlations during 1958–93winters are shown in panel Cwith a 0.2 interval.

The dark (light) shading in panels A–C denotes positive (negative) values in excess of the contouring interval. The zero contour is

suppressed in the top three panels.
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obtained from a different atmospheric analysis can
differ to an extent.) The NAO linked heating anom-
alies are significant in the northern basin, being as
large as 1.5K day� 1. The basin-wide structure implies
a meridional shift of stormtracks, which are climato-
logically centered near 401 N in the western/central
basin. The stormtracks are thus poleward shifted in
the positive NAO phase (displayed). Stormtrack shifts
have consequences for the time-mean flow as well,
since the baroclinically unstable synoptic-scale storms
can transfer significant amounts of heat and vorticity
in the north–south direction.

Correlation analysis provides a physically intuitive
and objective method of identifying climate telecon-
nections, but the obtained patterns may not be
independent, especially if spatial structures overlap.
This, for instance, is the case in the Pacific, where three
prominent patterns – PNA, the Western Pacific, and
the ENSO response (shown later) – overlap to varying
extent in the extratropical sector. Not surprisingly, the
correlation method proved unsuccessful in capturing
the ENSO response in the extratropics as a telecon-
nection pattern. Could this be a consequence of
focusing on mid-tropospheric variability? The 500
hPa level – a level of near-zero divergence – is, perhaps,
not the level of choice for identifying tropical–extra-
tropical interactions instigated by deep convective

heating in the Tropics. Horizontal divergence associ-
ated with deep convection, such as during El Ninõ
winters, is usually strongest in the tropical upper
troposphere (B200 hPa). The associated midlatitude
response, on the other hand, is quasi-geostrophic in
character, and hence approximately non-divergent.
Tropical–extratropical interactions are thus best di-
agnosed at a pressure level that captures the divergent
outflow in the Tropics and that is near a nondivergent
level in the extratropics. The 200 hPa level meets these
criteria, to a large extent.

In order to ascertain the full potential of the
correlation method in extracting teleconnections, the
teleconnectivity mapwas constructed at 200 hPa from
monthly height anomalies during 1958–98 winters.
Except for the somewhat smaller magnitude of corre-
lations, the 200 hPa map was very similar to the 500
hPamapdisplayed inFigure 3. In particular, the upper-
tropospheric analysis did not yield any new base
points, and ENSO’s response in the extratropics thus
remained unidentified.

Principal Component Analysis

Principal component analysis (PCA) is an elegant and
widely used method for determining the structure of
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Figure 7 Variability associated with the NAO during 1958–98 winters: (A) correlation of the gridded, monthly station precipitation over

land with Hurrell’s NAO index, shown with a 0.1 interval, and (B) regressed diabatic heating anomalies at 850 hPa, contoured using an

interval of 0.3K day�1. The dark (light) shading denotes positive (negative) values in excess of the contouring interval, and the zero

contour is suppressed, as before.
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recurrent variability. A common name for it is empir-
ical orthogonal function (EOF) analysis. This method
also analyzes the structure of the correlation matrix –
the covariancematrix is preferred though –but focuses
on regions that account for a substantial portion of the
temporal variance rather than just those which exhibit
strong negative correlations with distant points in the
domain. In contrast with the previous method, the
technique yields both the spatial patterns of recurrent
variability and the extent towhich these are present, or
projected, in the observed anomaly record. The
projection, or amplitude, is called the principal com-
ponent (PC) while the spatial pattern is referred to as
the loading vector (LV) in the technical literature.

Recurrent variability patterns identified from PCA
are spatially and temporally independent, or or-
thogonal. Such a relationship among patterns is often
helpful in investigating the origin and governing
mechanisms of variability, but can be relaxed in one
of the dimensions – space or time – if the orthogonality
constraints prove restrictive. For example, it is quite
conceivable for two temporally independent modes of
variability to have overlapping spatial patterns. Im-
position of temporal and spatial orthogonality con-
straints in this case may not lead to a physically
meaningful analysis. The spatial constraint can be
relaxed through the rotation of PCs, as discussed later
in the section.

Consider again the variability of geopotential
height, whose monthly departures from climatology
are available atM latitude–longitude grid points inN
winter months. As before, f0

i; k represents the height
departure at the ith grid point in the kthmonth;/ is an
ðM�NÞ matrix. The covariance of height departures
at grid points i and j is defined as

Rij ¼ 1

N

XN
k¼1

f0
i; kf

0
j; k ¼ ð/ n/TÞ=N

The covariance ðRÞ and correlation ðHÞ matrices are
related through the scalar standard deviation field ðSiÞ:
Rij ¼ Hij n Si n Sj. Analysis of the covariance matrix is
preferred since it is reasonable for regions exhibiting
large variability to exert greater influence in deter-
mining the structure of recurrent variability. In the
correlation matrix, the height departures are normal-
ized by the local variance,whichmakes each grid point
equally important. The equalization, unfairly, puts
regions of large and small amplitude variability on
par in the analysis. Although both metrics have been
analyzed, the covariance matrix is the metric of choice
in PCA. The analysis involves finding eigenvalues ðliÞ
and eigenvectors ðEÞ of the covariance matrix ðRÞ:
R nE ¼ E nL, where L is a diagonal matrix of eigen-
values ðliÞ, and R, E, and L are all square matrices of

dimensionM. Eigenvectors of a real symmetricmatrix,
such as R, are orthogonal. If they are each scaled to be
of unit length as well, they become orthonormal, i.e.,
ET

nE ¼ I, where I is the identity matrix. Because of
orthogonality, the projection of eigenvectors on the
height anomalies, C, can be easily obtained:
C ¼ ET

n/, so that / ¼ E nC; C is an ðM�NÞmatrix.
In meteorological analysis, the eigenvectors ðEÞ are

commonly referred to as EOFs. The principal compo-
nents ðPÞ and the corresponding loading vectors ðLÞ
are closely related to C and E, respectively: P ¼
B�1

nC andL ¼ E nB, whereB is a diagonal matrix of
the eigenvalue square roots ðl1=2i Þ. As in the case of
EOFs, the anomaly matrix can be represented as
/ ¼ L n P. Note that covariance of the PC and height
anomalies is nothing but the corresponding loading
vector: Covariance of the ith PC with anomalies at the
jth spatial grid point is

1

N

XN
k¼1

Pi;kFj; k ¼ ð/ n PTÞ=N

¼ ½ðE nCÞ n ðB�1
nCÞT�=N

¼ ½ðE nCÞ n ðCT
nB�1Þ�=N

¼ ½E n ðC nCTÞ nB�1�=N
¼ E nL nB�1 ¼ E nB ¼ L

Note that C nCT ¼ NLwas used in the above deriva-
tion; the relationship can be easily obtained from
manipulation of the eigenanalysis equation.

The PCAyields a large number of spatial patterns of
recurrent variability ðLÞ, in fact asmany as the number
of spatial grid points; L is an ðM�MÞ matrix. How-
ever, not all of them are equally significant in
accounting for the temporal variance. Interestingly,
the eigenvalue turns out to be a useful indicator of this
significance: the spatially integrated variance is noth-
ing but the sum of the diagonal elements of R, i.e., the
trace of R. Since R ¼ ½ð/ n/TÞ=N� ¼ ½E n ðC nCTÞ
nET�=N ¼ ½E nL nET�, its trace is the sum of the dia-
gonal elements ofL, or all the eigenvalues, li. It can be
easily shown that the temporal variance explained by
the ith loadingvector isproportional toli=Sl.The loading
vectors are thus ranked according to their eigenvalues,
and only the leading ones are generally of interest.

Singular Value Decomposition

The significant PCs, LVs, and eigenvalues of R can be
obtained from the singular value decomposition
(SVD) of the anomaly matrix, /. The advantage of
this technique over other eigenanalysismethods is that
most quantities of interest can be obtained in one step,
without ever having to construct, let alone store, the
covariance matrix R, which can sometimes be very
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large. The technique is, moreover, effective in extract-
ing the significant eigenvalues and eigenvectors when
R is not quite well conditioned.

Assuming M > N, the SVD of / results in
/ ¼ D n S nVT, where D and V are square matrices
of dimension M and N, respectively; DT

nD ¼ I and
VT

nV ¼ I, with I being the suitably dimensioned
identity matrix. S is an ðM�NÞmatrix consisting of an
upper ðN�NÞ diagonal submatrix and remaining
zeroes. The N largest eigenvalues and the corres-
ponding orthonormal eigenvectors of R are noth-
ing but the first N diagonal elements of ðS n STÞ=N
and column vectors of D, respectively, i.e.,
R nD ¼ D n ½ðS n STÞ=N�. Note that this eigenanalysis
equation is valid only for the firstN column vectors of
D (which are the same as those of E). The projection of
the N leading eigenvectors is given by S nVT, so the
first N rows of C and S nVT are also the same.

Rotated Principal Component Analysis

PCA provides an efficient and unique characterization
of recurrent variability in terms of a small number of
uncorrelated spatial patterns. The patterns are chosen
so that each one successively explains the maximal
residual variance in a given data set. For instance, the
leading PC is obtained by requiring that it maximize
the sum of the squared correlation between itself and
the time series at all points in the analysis domain. The
resulting PCs are temporally orthogonal while the LVs
are spatially orthogonal. Spatial orthogonality can
however be restrictive and, inmany cases, undesirable,
as discussed earlier. Although the leading LV is not
directly impacted, subsequent LVs are often con-
strained to have predictable geometric relationships
vis-à-vis the leading pattern; domain geometry, thus,
becomes an influencing factor itself.

For these and other reasons, a variant of PCA
analysis, called the rotated principal component
analysis (RPCA), has become popular since it yields
patterns that are no longer constrained to be spatially
orthogonal; domain geometry is thus much less
influential; rotated PCs continue to be temporally
orthogonal though. The linear transformation (or
solid rotation) of PCs that is widely used in meteor-
ology is called the ‘varimax’ rotation. It is determined
by the requirement that the variance of the squared
correlations between each rotated PC and the original
time series be maximized. Focusing on the variance,
rather than sum (as in unrotated analysis), of the
squared correlations increases spatial discrimination,
and facilitates interpretation of the obtained patterns.

Typically, only a subset of the leading PCs are
rotated. Although several criteria exist to guide the
choice of this subset, the sensitivity of results to the

rotated number offers good practical guidance. In
most meteorological applications, 8–10 of the leading
PCs are rotated; in most applications reported here,
the number is 8.

Wintertime Teleconnections from RPCA

The leading patterns of recurrent height variability are
extracted from RPCA and shown in Figure 8. The
December, January, and February anomalies during
1958–98 winters were analyzed in the 301S–901N
domain. Analysis was conducted at the 200 hPa level
in order to also capture the tropical–extratropical
interactions (e.g., ENSO-related) that are prominently
manifest in the upper troposphere, for reasons stated
earlier. Height anomalies were multiplied by the
square root of the cosine of latitude to achieve grid-
area parity, which prevents polar regions with many
more points on a regular latitude–longitude grid, from
unduly influencing the analysis. The covariance,
rather than correlation, matrix was analyzed so that
regions with large variance can exert greater control
on the analysis outcome. The SVD techniquewas used
inobtaining the PCs andLVs, and the eight leadingPCs
were rotated using the varimax criterion.

The leading pattern (or loading vector) is shown in
Figure 8A. It accounts for B15% of the monthly
variance in the analysis domain. The height anomalies
are focused in the Atlantic basin, and the pattern is
very similar to the 500 hPa teleconnection in the
Atlantic sector (Figure 5A; note the narrower display
domain), except for the slight north-west shift of
major features in the 200 hPa pattern. The PC
associated with the upper-level pattern is shown in
the top panel of Figure 9. Its variations in the 40 year
period are similar to those of the Atlantic teleconnec-
tion index (Figure 5D), and even more to variations of
the Hurrell index (Figure 6D). The PC’s correlation
with the Hurrell index is, in fact, 0.84, which is
significantly larger than the correlation of the Atlantic
teleconnection andHurrell indices (0.645). RPCA has
thus yielded a pattern that is more closely linked with
Hurrell’s NAO index.

The second leading pattern, shown in Figure 8B,
represents higher geopotential heights in all sectors of
the northern subtropics, but especially over the cen-
tral/eastern Pacific. Higher upper-level heights are
typically associated with a warmer air column under-
neath, since the atmosphere is in hydrostatic balance.
The pattern of variability is thus associated with a
warming of the Tropics, such as that seen during
ENSO winters. The presence of a subtropical ridge to
the south-east of the Hawaiian Islands is also indi-
qcative of linkage with ENSO, for deep convection in
this tropical Pacific sector during ENSO winters and
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the related divergent outflow are linked with the
development of an upper-level anticyclonic circulation
in the subtropics. The anomaly structure resembles the
characteristic height response during ENSO winters,
which is shown in Figure 10A; the annular structure in
the Tropics is again noteworthy. The characteristic
response is obtained from regressions of the Niño3.4
SST index, which is a widely used marker of ENSO
variability. Although the amplitude of features over
NorthAmerica isweaker in Figure 8B, their position is
reasonable. In both figures, the ridge is located
between the Great Lakes and Hudson Bay, and not
over the Pacific/Northwest (the case in the PNA
pattern). The position of the subtropical ridge off the
Hawaiian Islands (and even the weaker one over
south-western Europe) is quite similar in both maps.

The PC associated with this LV is shown in
Figure 9B, and accounts for B13% of the monthly
variance during winter. Also shown in this panel is the
Niño3.4 SST index, which is the average SST in an
equatorial Pacific box (51 S–51 N, 170–1201 W;
marked in Figure 10C). The index is normalized, just

as the PC, and shown using open circles (‘o’). The
correlation between the PC and the index is 0.74.
Inspection of the two time series shows that correla-
tions are not higher, primarily because the PC was
unable to capture aspects of ENSO variability prior to
the 1976/77 climate transition: El Niño events during
the 1960s were, in particular, missed. The second
leading PC is thus related to ENSO variability, even
though it falls short of providing a full representation
of its spatial and temporal structure. It is remarkable
that RPCA of upper-tropospheric heights can identify
ENSO-related variability without any reference to the
underlying SST variability. Note that teleconnection
analysis of the 200 hPa height variability in the same
period was unsuccessful in this regard.

The third leading pattern of winter height variabil-
ity, shown in Figure 8C, is clearly the PNA pattern. It
explainsB12%of the domain-averaged variance, and
stands out because of its coherent, arcing structure.
Except for minor embellishments of the tropical
features, the displayed structure is quite similar to
that shown in previous depictions (Figures 2A and4A),

(A) (B)

(C) (D)

Figure 8 Leading patterns of height variability at 200 hPa, obtained from rotated PCA: (A) NAO-related, (B) ENSO-related, (C) PNA

pattern, and (D) the WP pattern. The covariance of monthly fluctuations in the 301 S–901 N domain is analyzed in Northern winter

(December, January, and February) during January 1958–February 1998. Eight leading PCs are rotated using the varimax criterion (see

text for more details). Height anomalies in panels A–D are contoured with an interval of 10m, and dark (light) shading denotes positive

(negative) values in excess of the contouring interval. The zero contour is suppressed. Patterns A–D explain 15.1%, 13.3%, 11.9%, and

8.7% of the domain-averaged variance.
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which were all at the 500 hPa level. It is interesting to
compare the position of the subtropical ridge in the
PNA and ENSO-related patterns, since this can be
helpful in identification: the ridge is centered west-
ward of the Hawaiian Island in the former, but south-
eastward of the islands in the latter pattern. The
associated PC is shown in Figure 9C. Its correlation
with the PNA index (aPNA; defined earlier in text using
the 500 hPa height anomalies) is 0.89.

The fourth leading variability pattern identified by
RPCA is shown in Figure 8D. It is referred to as the
Western Pacific (WP) pattern, since its structure is
broadly similar to the teleconnection pattern bearing
the same name. Although the pattern is focused in the
Pacific basin, its structure bears close resemblance to

the Atlantic sector pattern (Figure 8A): meridionally
dipolar structure with a node near 451N; larger
amplitude of the polar cell; height anomalies focused
in the jet longitudes (Asian-Pacific and Atlantic),
especially the jet-exit sectors; amore zonally extended,
weaker southern cell, with 4–5 local maxima. Inter-
estingly, the maxima in the Eastern Hemisphere of
both patterns are in the same longitudinal sectors,
reflecting perhaps the wave-guiding influence of the
climatologically prominent Asian-Pacific jet. The WP
pattern exhibits direct regional resemblance to the
PNA and ENSO-related patterns too: Despite subtle
shifts, there is some correspondence with the PNA
features over the extratropical Pacific, and with the
ENSO-related pattern features over North America.
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The latter correspondence, in fact, contributed to
erroneous linkage between theWP pattern and ENSO
variability in early investigations of climate telecon-
nections. The PC associated with the WP pattern is
shown in Figure 9D. Unlike the ENSO-related PC (or
Niño3.4 index), the WP pattern’s PC exhibits sub-
stantial intraseasonal variability, with phase changing
within a season in two–thirds of the analyzed winters.
Not surprisingly, its correlation with the Niño3.4
index is only 0.10. For reference, the PC correlation
with the WP teleconnection index, defined using the
two western Pacific base points in the teleconnectivity
map shown in Figure 1, is 0.64.

RPCA of /200 and SST Variability

The analysis of combined variability of the upper-level
geopotential and SST anomalies is motivated by the
need to clearly identify the ENSO-related height

pattern in Northern winter months. Further clarifica-
tion of ENSO’s characteristic height response should
be beneficial for the other modes as well, in view of
aliasing of the misrepresented structure. Differences
between height regressions of the Niño3.4 SST index
and the ENSO-related pattern obtained fromRPCAof
/200 (Figures 10A and 8B, respectively) indicate
potential shortcomings of the analysis strategy, aris-
ing, perhaps, from the lack of consideration of the
underlying SST structure in determination of the
recurrent variability patterns. Alternatively, the dif-
ferences could be construed as questioning the suita-
bility of the Niño3.4 SST index as a marker of ENSO
variability: a non-issue, since other modes of Pacific
SST variability, including the decadal ones, have little
signal in the Niño3.4 region.

Modes of recurrent /200 and SST variability are
extracted by simultaneously analyzing the structure of
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Figure10 ENSOvariability. TheNiño3.4 index, which is the averageSST anomaly in themarked equatorial Pacific box, is shown in the
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respectively. The SST regressions during 1958–93 winters are shown in panel C with a 0.2K intervals. The dark (light) shading in panels

A–C denotes positive (negative) values in excess of the contouring interval. The zero contour is suppressed in the panels.
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the auto-covariance and cross-covariance matrices in
the 301 S–901N domain. As before, each variable was
multiplied by ðcos yÞ1=2to achieve grid-area parity on
a regular longitude–latitude grid. The individual
variables were, moreover, put on par by dividing their
anomalies by the square root of the sum of temporal
variance over that variable’s spatial grid. The normal-
ization allows regions with larger variance to have
more influence on the analysis outcome, but at the
same time maintains parity between the overall
influence of each variable. In view of the shorter
ship-based SST record, the combined analysis was
conducted for the 1958–93 subperiod. To offset the
shorter record, monthly anomalies in an expanded
winter season (December–March) were analyzed. The
SVD techniquewas used in obtaining the PCs and LVs,
and the eight-leading PCs were rotated using the
varimax criterion, all as before.

The leading mode of combined variability is shown
in Figure 11. It explains B14% of the monthly
geopotential and SST variance inwinter in the analysis
domain. Note that the explained variance is small
since the total variance that needs to be accounted for
is now that of two variables; the analysis domain is
moreover very large, larger than the Northern Hem-
isphere. (In more regional domains, the explained
variance amounts would be much bigger.) The close
similarity of the modal structure with Niño3.4
regressions (Figure 10) indicates that this mode
represents ENSOvariabilitywith considerable fidelity.
Major features of the upper-level height pattern,
including the ones over North Pacific and North
America, are now stronger and more closely aligned
with the target pattern (Figure 10A) than those
depicted in Figure 8B. The SST component of the
leading mode (Figure 11C) shows a pronounced,
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Figure11 ENSOvariability:RPCAof combinedvariability of the200hPageopotential heightandSSTanomaliesduring1958–93winter

months (December–March). The leading mode explainsB14% of the height and SST variance in the 301 S–901N domain. The 200 hPa

height and regressed sea-level pressure anomalies are contoured in panels A and B using 10m and 0.5 hPa intervals, respectively. The

SST component of the leading mode is shown in panel C with a 0.2K interval. The dark (light) shading in panels A–C denotes positive

(negative) values in excess of the contouring interval. The zero contour is suppressed in the panels.
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zonally extended anomaly in the central and eastern
tropical Pacific, with amplitude in the Niño3.4 region
approaching 1.0K. The SST anomaly pattern is
strikingly similar to SST regressions of the Niño3.4
index during Northern winter (Figure 10C). The
similarity is not confined to the tropical Pacific, but
extends well into the subtropics and other ocean
basins, particularly the Indian Ocean. Not surprising-
ly, the correlation between the leading PC (Figure
11D) and the Niño3.4 SST index is 0.92. The leading
mode of combined variability thus represents the
mature phase of ENSO variability, since ENSO-
related SST and circulation anomalies attain their
largest amplitude generally during Northern winter
and early spring months.

The ENSO-related sea-level pressure anomalies are
contoured in Figure 11B (or Figure 10B) using a
0.5 hPa interval. The interval is half of that used before
in displaying the sea-level pressure anomalies in the
extratropics. A smaller contour interval is used here in
order to capture the sea-level pressure variations in the
Tropics, which are generally weaker than their mid-
latitude counterparts because of the smaller Coriolis
parameter ð¼ 2O sin y, whereO is the Earth’s rotation
rate and y the latitude). Smaller Coriolis force allows
for stronger divergent circulations in the Tropics
which, in turn, weaken pressure gradients. The
reduced interval detects the higher sea-level pressure
in the western tropical Pacific but, evidently, not in the
central and eastern portions of the basin where
pressure is lower during ENSO episodes, but by an
amount smaller than the contour interval. In the
extratropics, sea-level pressure is lower along the US
west coast and theGulfCoast, andover Florida,which
leads to enhanced precipitation in these regions during
El Niño winters.

The second leading mode of combined variability is
shown in Figure 12, and represents NAO variability.
The mode accounts for B10% of the monthly
geopotential and SST variance. The 200 hPa height
anomalies are focused in the Atlantic basin, and the
pattern is very similar to that obtained from RPCA of
heights alone (cf. Figure 8A). The SST component
(panel B), on the other hand, is very similar to the SST
correlations of Hurrell’s NAO index (Figure 6C),
except for the stronger amplitude: particularly in the
northern tropical Atlantic, where correlations ap-
proach 0.5. It is noteworthy that NAO variability is
not correlated with tropical Pacific SSTs, at least
contemporaneously during Northern winter months.
The PC is shown in the bottom panel, and its
correlationwithHurrell’s monthlyNAO index during
1958–93 winters is 0.77.

The third leading mode obtained from the analysis
of upper-level heights and SST variability is shown in

Figure 13. It accounts for B6% of the combined
variance, and represents PNAvariability. The 200 hPa
height pattern (panelA) is very similar to that obtained
earlier from RPCA analysis of height variability alone
(Figure 8C), except for the meridionally tighter struc-
ture of the subtropical ridge located upstream of
Hawaii. The SST component (panel C) is broadly
similar to SST correlations of the PNA index during
1962/63–1976/77 winters (Figure 2C), in that corre-
lations are strongest in the extratropical Pacific.
Analysis of combined variability reinforces the linkage
with Pacific midlatitude SSTs, by showing PNA
variability to be even more uncorrelated with SST in
the tropical Pacific and other ocean basins, at least
contemporaneously. The PNA PC is displayed in the
bottom panel, and is correlated with the PNA index at
0.84, and with Niño3.4 SST index at 0.07. The PC
regressions on sea-level pressure are displayed in
Figure 13B, and should be compared with the corre-
sponding regressions of the PNA index shown earlier
inFigure 2B. The comparison indicates that analysis of
combined variability leads to a PNA structure that is
tightly focused in the extratropical Pacific basin.

Recalling that identification of ENSO’s characteris-
tic height response in the mid-troposphere is difficult
regardless of the analysis method – in part, because
tropical features that facilitate pattern discrimination
at other levels are very weak in the mid-troposphere –
it is of some interest to examine the structure of PNA
and ENSO height responses in this region. The mid-
tropospheric structures are obtained by regressions of
the ENSO and PNAPCs on 500 hPa height anomalies,
and shown in Figure 14. The PCs themselves are from
the earlier analysis of combined variability of 200 hPa
heights and SST (Figures 11D and 13D). The PNA
anomalies in Figure 14 are shaded while the compar-
ativelyweaker ENSOones are shownusing thick lines.
The analysis of combined variability has yielded a
clear separation of the two variability patterns in the
mid-troposphere – a challenging task given the much
weaker amplitude of the ENSO pattern. In the
midlatitudes, the patterns are nearly in quadrature,
with nodal lines of one intersecting the extremum
zones of the other over North Pacific and North
America. It is worth noting that the analysis method
has not imposed a spatial orthogonality constraint on
the patterns, since the latter are obtained from a
rotated analysis.

The temporal structure of ENSO and PNA varia-
bility is examined in Figure 15. The two PCs are
constrained to be temporally orthogonal by the
analysis method. The examination is thus motivated
by questions related to linkage of the twomodes when
their amplitude is large: for example, is significant
amplitude PNA variability excited more frequently
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(and in a given phase) during El Niño episodes? A
scatter plot of the two PCs facilitates investigation of
such questions. The linkage question is, of course,
meaningful only in the context of PNA occurrences of
significant amplitude. In subsequent analysis, the
patterns are considered to have significant amplitude
when their PC magnitude exceeds 1.0.

The distribution of significant amplitude PNA
events with respect to ENSO variability is examined
first, by binning such events in ENSO PC intervals of
1.0, as shown in the bar graph. The number of
positive-phase PNA occurrences is shown in blue
while the corresponding negative-phase number is
displayed in red. For most ENSO amplitudes, the
difference between the positive- and negative-phase
PNA occurrences is quite small, and not statistically

meaningful. The same difference is however large and
potentially significant in weak ENSO conditions. For
example, weak La Niña events (� 1.0oENSO PC
o0) appear to be conducive for the generation of
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significant amplitude1ve PNAvariability. Inspection
of Figure 15 shows that not only are there more 1ve
PNA events, but that some of the largest amplitude
ones occur during weak La Niña conditions. The
opposite appears to be the case during weak El Niño
conditions, which evidently favor the negative phase
of PNA variability; the phase bias is however not as
pronounced as in weak La Nina conditions. The � ve
PNA phase is however not preferred during strong El
Niño conditions, an event category exhibiting some
preference for the1ve PNAphase; sampling concerns,
however, preclude drawing conclusions, here. It is
worth noting that the phase bias manifest in the above
bar graph is not a consequence of the temporal
orthogonality constraint imposed in PCA, as such a
condition may only require the amplitude of one
pattern to be large when the other’s is small.

WPvariability pattern/NorthPacificOscillation The
fourth leading mode of combined variability is re-
ferred to as the WP pattern. It explains about 5% of
the geopotential and SST variance, and is shown in
Figure 16. The small fraction of the accounted
variance does not indicate insignificance of this
mode, but is rather a reflection of the consideration
of two variables in a large spatial domain, as noted
earlier. The WP pattern represents both intraseasonal
and lower-frequency variability over the North Pacif-
ic. The meridionally dipolar height pattern is associ-
ated with latitudinal displacements of the Asian-
Pacific jet, and linked at the surface to a long known
pattern of sea-level pressure variability, the NPO. The
upper-level trough is centered over the Bering Strait
but extends south-eastward along the west coast of
North America, while the ridge to the south extends
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Figure 13 PNA variability: from RPCA of combined variability of the 200 hPa geopotential height and SST anomalies during 1958–93

winter months (December–March). The 3rd leading mode explains about 6% of the height and SST variance in the 301 S–901N domain.

The 200 hPa height and regressed sea-level pressure anomalies are contoured in panels A and B using 10m and 1.0 hPa intervals,

respectively. TheSSTcomponent is shown in panelCusing correlationcontours,with a0.2 interval. Thedark (light) shading in panelsA–C

denotes positive (negative) values in excess of the contouring interval. The zero contour is suppressed in the panels.
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from the Korean peninsula to the Hawaiian Island
longitudes. Height anomalies are however not con-
fined to the Pacific sector alone: a split ridge is present
over the north Atlantic, with one lobe over southern
Hudson Bay and the other positioned in the vicinity of
the British Isles. Sea-level pressure regressions are
displayed in panel B, and show a zonally elongated
high-pressure cell spanning the Pacific longitudes. The
surface-low to the north is centered eastward of the
upper-level trough, implying a westward tilt with
height of the higher-latitude anomalies. In contrast,
the high-pressure cell over the British Isles is located
just underneath the upper-level ridge, i.e., in an
equivalent barotropic configuration. The surface-low
extends sufficiently south-eastward to be of some
consequence for hydroclimate variability over North
America, including the US Great Plains.

The SST component of the variability mode is
shown in panel C, using the correlation measure.
Correlations approach 0.4 in both themidlatitude and
tropical sectors of the Pacific; a smaller contour
interval, 0.15, is used in this panel. Significant corre-
lations with tropical Atlantic SSTs are also evident.
The correlations in the Pacific basin – the boomerang
structure in particular – are reminiscent of the struc-
ture of Pacific decadal SST variability. The 36 year
record analyzed here is too short, though, to charac-

terize decadal time-scale variability, but the structural
correspondence is nonetheless intriguing. The PC,
displayed in panel D, depicts both the intraseasonal
and lower-frequency nature of WP variability. The
pattern’s phase changeswithin a season duringmost of
the analyzed winters, but a lower-frequency modula-
tion of amplitude is also evident. For example, the
termination of an upward trend, or Pacific cooling,
after the 1975/76 winter, which has been noted in
other analyses, is reflected in the PC distribution. The
PC correlation with Wallace and Gutzler’s WP tele-
connection index is 0.45. There are several reasons for
this small correlation, not the least of which is the
much shorter period of that teleconnection analysis:
The WP structure, particularly the component linked
with low-frequency interannual variability, would be
difficult to characterize from analysis of a 15-winter
long record. Correlations are also small because of
potential aliasing of ENSO variability in the earlier
analysis.

Impact on Northern Hemisphere precipitation The
monthly land-station precipitation correlations of the
four variability modes are shown in Figure 17. As
before, the correlations are for the 1958–93 winters
(December–March), and obtained using principal
components from the rotated analysis of /200 and

Figure 14 The 500 hPa height regressions of the ENSO and

PNA PCs. The PCs were obtained from the combined analysis of

200 hPa geopotential height and SST anomalies, and shown in the

previous two figures. The PNA regressions are shaded while the

ENSO ones are contoured using thick lines. The contour interval is

10m, and dark (light) shading denotes positive (negative) values in

excess of the contouring interval. The zero contour is suppressed,

as before.
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SST variability. The ENSO correlations in the El Niño
phase are shown in panel A, and broadly indicate a
southward shift of precipitation over North America.
The correlations are large (0.3–0.4) over the US west
coast, southwestern states, and Flordia, and over
Mexico. The NAO correlations are shown in panel B,
and are similar to those shown and discussed earlier
(cf. Figure 7A). Noteworthy features include the
meridional dipole distribution over Europe, with
wetter conditions to the north, and the comparatively
muted signal over North America. The PNA correla-
tions, in contrast, are strong over the Pacific North-
west and the eastern US region centered on the Ohio
river valley. The WP/NPO correlations are of some
significance in the Pacific Northwest and in the
northern Great Plains. Note that the correlations

would generally be larger had the seasonal-mean
anomalies been analyzed.

SimilaritybetweenWP/NPOandNAOvariability The
similarity of the two variability modes is investigated
next, prompted in part by the resemblance of their
surface signatures. The pioneering analysis of sea-level
pressure fluctuations by Walker and Bliss character-
ized the winter structure of the Pacific and Atlantic
basin anomalies – the North Pacific and North
Atlantic oscillations – and pointed out the corre-
spondence in features. The characterization of NAO
structure is on firmer footing though, since theAtlantic
is ‘data rich’ in comparison with the Pacific.

The sea-level pressure regressions of the two PCs
(Figures 12C and 16D) are shown in Figure 18, with
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Figure 16 WP variability: from RPCA of combined variability of the 200 hPa geopotential height and SST anomalies during 1958–93

winter months (December–March). The 4th leading mode explains about 5% of the height and SST variance in the 301 S–901 N domain.

The 200 hPa height and regressed sea-level pressure anomalies are contoured in panels A and B using 10m and 1.0 hPa intervals,

respectively. The sea surface temperature correlations are shown in panel C with a 0.15 interval. The dark (light) shading in panels A–C
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the maps rotated so that both ocean basins are in the
6 o’clock position, to facilitate comparison. The
zonally elongated, seesaw structure, with a node at
B501N, and a third center atB12 o’clock position, is
evident in both patterns. The patterns are moreover
located in the jet-exit region of the climatological jets
in each basin, the Asian-Pacific and the Atlantic jets. A
comparisonwith the corresponding upper-level height
patterns indicates a vertically coherent structure of the
midlatitude anomalies in the two basins. Given the
proximity to the climatological jets, it is of some
interest to examine the impact of WP/NPO and NAO
variability on the tropospheric jet structure. Panels C
and D depict the latitude-height structure of the
climatological (thick solid contours) and anomalous

(thin shaded contours) zonal wind in each basin. The
longitudinal average is restricted to the 1501 E–1351
W sector in the Pacific basin and to the 801 W–01
sector in the Atlantic. The sectors are chosen on the
basis of the zonal extent of the sea-level pressure
anomalies, and sector boundaries are marked in
panels A and B using thick meridian lines.

Superposition of the sector-averaged zonal wind
anomalies on local jet structure shows that the WP/
NPO variability pattern latitudinally shifts the Asian-
Pacific jet. In the depicted phase (Figures 16), the
tropospheric jet is shifted poleward, and the polar
vortex is strengthened in the Pacific lower strato-
sphere. A rather similar distribution of anomalies is
evident in the Atlantic sector. Although the climato-
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Figure 17 Correlation of the gridded,monthly station precipitation over land with the four leading PCs obtained from rotated analysis of

200 hPa height and SST variability: (A) ENSO, (B) NAO, (C) PNA, and (D) WP/NPO. Correlations are shown for the December–March

period, and for the previously displayed phases of these variability patterns. The contour interval is 0.1. The dark (light) shading denotes

positive (negative) values in excess of the contouring interval, and the zero contour is suppressed, as before.
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logical jet is weaker here and more diffused, the zonal
wind anomalies are, latitudinally, just as coherent as
the WP/NPO anomalies, and move the jet center
poleward, as before. An additional feature present in
NAO regressions is the weak zonal wind anomaly in
the Tropics, which makes the already diffuse Atlantic
jet even more so. The NAO zonal anomalies have
comparatively stronger extensions into the strato-
sphere, but their structure vis-à-vis the local vortex is
very similar, i.e., they too strengthen the local polar
vortex. The jet perturbations are dynamically impor-
tant, for they affect wave propagation, both in the
troposphere, and between the troposphere and strat-
osphere. They can also be a wave source: by modu-
lating flow over orography and over regions of strong
climatological vorticity gradients. The dynamical and
thermodynamical mechanisms connecting the tropo-
sphere and stratosphere during NAO variability is an
area of active research.

Teleconnection evolution

Climate teleconnections, discussed above, were ob-
tained from the analysis of monthly averaged anom-
alies, using techniques keyed to an optimal accounting

of the temporal variance. These attributes steered the
analysis towards extraction of the fully developed, or
mature-phase, of the leading teleconnection patterns.
Monthly-averaging was helpful in this regard for it
filtered the large-scale synoptic waves in the tropo-
sphere, and facilitated focus on the ‘standing’ compo-
nent of low-frequency variability. A month is not too
long a period in context of large-scale ocean-atmos-
phere interaction, but it is a rather extended averaging
period in the context of dynamical and thermody-
namical processes operative in the generation of
climate teleconnections. These processes evolve rap-
idly – on weekly time scales – and their resolution is
critical for description of the nascent-to-mature phase
evolution of teleconnection patterns, and for advanc-
ing understanding of the excitation mechanisms.

The typical evolution and longevity of the variabil-
ity episodes associatedwithwintertime teleconnection
patterns is investigated from analysis of the weekly
(Sunday-to-Saturday) anomalies. The anomalies were
constructed from the daily NCEP reanalysis and SST
fields, by removing the weekly climatologies. The
December–March winter season was defined to be 18
weeks long, with start dates falling between Novem-
ber 28 and December 4. Daily SSTs were however
available only since November 1981, i.e., only for the
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past two decades, which precluded a meaningful
analysis of the combined SST and geopotential vari-
ability onweekly time scales. The/200 anomalieswere
thus analyzed alone using the RPCA technique, but
aliasing of ENSO variability was largely avoided by
detrending the weekly data prior to the analysis:
Height regressions against a weekly Nino3.4 SST
index (constructed from linear interpolation of the
monthly version) were removed from the weekly /200

record. For consistency with monthly analysis, varia-
bility in the same 35 winter seasons (1958/59–92/93)
is analyzed; the analysis domain and the number of
PCs rotated are also the same as before. Analysis of
weekly data also yields NAO (11.2%), and the WP
(8.8%) and PNA (7.8%) patterns as the leading
variability modes. (Note, ENSO variability is absent
from the line-up as it was filtered from theweekly data
record.)

The discussion of results obtained from weekly
analysis is limited to an examination of PNA evolu-
tion, in the interest of space. The examination begins
with an analysis of the longevity of PNA variability
episodes. The auto-correlation statistic is used to
estimate the pattern’s duration; auto-correlation of the
PNA PC is calculated at various weekly lead/lags in
each winter season, and the 35-year mean and
standard deviation is shown in Figure 19. The mean
auto-correlation falls to B0.5 within a week (and to
e�1 within B1.5 weeks) of attaining peak amplitude
(the zero-lag phase). The typical duration of PNA
episodes is thus 2-to-3 weeks, depending on the
threshold criterion. Clearly, analysis of the sub-weekly
averaged data (pentad averages, for example) can lead
to further refinement of the duration estimate.

The structural evolution of PNA variability is
examined next, again from the lead/lag regressions
of its principal component. Regressions are generated,
as before, for each of the 35 winters, and the mean
regression structure is shown in Figure 20 at various
weekly lead/lags. Regressions of the upper-tropo-
spheric rotational flow ( /200) are shown in the left
panels, while those of divergent flow (200 hPa diver-
gence) are shown in the right panels. In both columns,
time increases downward, with the peak PNA phase
(T ¼ 0 weeks) depicted in the middle panels.

The evolution of PNA height anomalies is interest-
ing: A coherent signal is evident as far ahead as two
weeks (T ¼ �2weeks); the precursor pattern contains
hints of the extratropical features present in the
mature phase, with the exception of the subtropical
ridge in the central Pacific; the North Pacific trough
deepens considerably, in advance of significant ridge
development off the Hawaiian islands (cf. T ¼ �1
week). These evolutionary features question the
notion that the PNA pattern is generated by the

propagation of Rossby waves, emanating from the
central tropical Pacific. The precursor patterns, in fact,
exhibit interesting development in the extratropics. As
geopotential height is related to the geostrophic wind,
the precursor height features in the eastern hemisphere
extratropics in the T ¼ �1 and � 2 week maps
represent an eastward extension (and meridional
tightening) of the climatological Asian-Pacific jet.
Poleward and upwardpropagation of planetarywaves
(wavenumber 2, principally) into the lower strato-
sphere from the eastern extratropics (not shown) is
also an interesting feature of PNA evolution.

The evolution of upper-tropospheric divergent flow
in PNA episodes is also interesting, in that, the
precursor phase is characterized by significant anom-
alies in the extratropics. The absence of significant
upper-level divergence anomalies in the deep Tropics
are notably absent, indicates a rather limited role of
tropical convection, including the Madden-Julian
oscillation, in initiating PNA variability. The mature-
phase divergence anomalies have coherent, large-scale
structure – a quadrapole – over the extratropical
Pacific, with significant amplitudes over the central/
eastern basin. Interestingly, the divergence anomalies
are collocated with the upper-tropospheric diabatic
heating anomalies (not shown). Such collocation is
generally seen in the deep Tropics, but not in the
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Figure 20 Weekly evolution of PNA variability: The 200hPa height and divergence regressions of the PNA principal component are
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extratropics. The collocation raises the possibility that
divergence and heating anomalies are both generated
by the same ‘thermal-wind balance’ restoring second-
ary circulations; the former, directly, while the latter,
through their impact on Pacific stormtrack activity.

The evolution of surface winds and the underlying
SST during PNA episodes is examined in Figure 21.
The fields are of interest in viewof the potential for air–
sea interaction over the extratropical Pacific and its
impact on PNA evolution. Themature phase structure
was scrutinized earlier (cf. Figure 2) to glean the
direction of interaction in the central/eastern basin,
but that assessment needed corroboration fromamore
discriminating analysis. Weekly evolution of the
1000 hPa NCEP reanalysis winds is displayed in the
left panels, while SST development is shown in the
right panels of Figure 21. The SSTanalysis is based on
regressions for the 12-winter sub-period (1981/82–92/
93) during which daily SSTs are available. Examina-
tion of the antecedent structure reveals the presence of
large-scale cyclonic circulation over the northern
Pacific two weeks in advance of the mature phase
(cf. T ¼ �2 weeks); its initial extent is from the date-
line to the North American coast, and, meridionally,
from the Aleutian to the Hawaiian islands. Cyclonic
development is quite rapid, for winds become several
times stronger in a period of just one week (cf.T ¼ �1
week). The cyclonic circulation is even stronger, fully
extended across the midlatitude basin, and notably,
more coherent along its western flank in the mature
phase. The near-surface development largely tracks
the upper-level evolution except for thewestward shift
with height of the precursor phase features.

The precursor SST anomalies are characterized by
cold temperatures in the 301–451N Pacific band;
anomalies appear to emanate from the Kuroshio exit
region, off Japan, and extend eastward as far as 1351
W. The cold band is surrounded by warmer temper-
atures in the eastern basin, with a bow-shaped pattern
reminiscent of the structure of decadal variability; the
warming is modest, though, with SSTanomalies in the
Gulf of Alaska and off Baja California r0.15K. The
role of precursor SSTanomalies in generation of PNA
variability is difficult to establish without more com-
prehensive analysis, including modeling. In contrast,
the impact of evolving atmospheric circulation on SST
is somewhat easier to characterize. Rapid develop-
ment of cyclonic circulation in the northernbasin leads
to SST changes, which are comparatively modest, and
which accrue slowly because of the thermal inertia of
the oceanic mixed layer. Because of the lagged nature
of the response, the cumulative changes in SST are
shown both between T ¼ 0 and T ¼ �2 weeks, and
T ¼ þ2 and T ¼ �2 weeks. The similarity of cumu-
lative changes with the mature phase SST pattern in

the central/eastern basin is striking; approximately
half of the mature-phase amplitude in these sectors is
derived from SST development in the preceding two
weeks. The structural similarity of PNA’s mature
phase SST patterns, as identified from monthly and
weekly analysis (Figures 13C and 21, respectively), is
also noteworthy and reassuring.

The difference between the mature and precursor
phase winds is shown in the bottom left panel of
Figure 21. Anomalous surfacewesterlies over the open
ocean enhance the wind speed in midlatitudes (by
reinforcing the climatologicalwesterlies) anddiminish
wind-speed in the subtropics (by opposing the cli-
matological trade winds, which blow from the east).
Sensible and latent heat fluxes at the ocean surface,
and vertical mixing in the upper ocean are both
sensitive to wind speed; increased speeds lead to
greater fluxes and mixing, and consequently, colder
SST. The cumulative changes in SST, depicted in the
lower right panels, are consistent with this under-
standing: SSTs are cooler poleward of B301N and
warmer just to the south; the sweeping structure of
warmer SSTs in the open ocean is consistent with the
domain structure of the climatological trade winds.
The wind direction can, additionally, be important
near the coasts. Southerly anomalies along the eastern
flank of cyclonic development are sufficiently near the
coast to impact coastal upwelling. Southerly winds
generate down-welling in the coastal zones of the
Northern Hemisphere, and shield the upper-layers
from the influence of colder sub-surface water. Thus,
warming along the North American coast in the
cumulative SST change maps can also be understood,
reasonably, as resulting from the impact of the
evolving near-surface winds.

To be sure, SST development must, in turn, influ-
ence aspects of concurrent PNA evolution, but culling
this influence and estimating its importance is chal-
lenging without the benefits of a modeling analysis.
Although, not directly indicative of the excitation
mechanism, the precursor patterns in Figures 20 and
21 allude to the importance of dynamical and
thermodynamical interactions in the Northern extra-
tropics in generation of PNA variability.

Investigation of teleconnection evolution using the
lead/lag regression technique is notwithout its pitfalls,
though, which include emphasis on structural similar-
ity. Modal development can sometimes involve con-
siderable evolution of spatial structure, as well. Shape-
sensitive measures, like the ones used above, will be of
limited value in these situations. The variability in
such cases should be analyzed in the spatio-temporal
domain using techniques, such as the extended EOF
analysis, which simultaneously search for recurrence
of both spatial and temporal patterns.
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Figure 21 Weekly evolution of PNA variability: 1000hPa winds and SST regressions of the PNA principal component are shown at

variousweekly lead/lags.TheSST regressionsarebasedon the12-winter sub-period (1981/82–92/93) forwhichdailySSTsareavailable.

Wind regressions are shown over oceanic regions in the left panels using the indicated vector scale, while SST regressions are displayed

in the right panels using a 0.07K interval. The shading convention is the same as in Figure 20. Time increases downward in intervals of a

week. Wind and SST development (i.e., changes over a 2–4 week period) are displayed in the lower panels.
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Introduction

A thermal low (sometimes referred to as a heat low)
is a low-pressure area resulting from high tempera-
tures in the lower troposphere caused by a localized
area of intense heating at the Earth’s surface. Thermal
lows occur typically during the summer over sub-
tropical continental areas and are most intense in the
desert regions of the world. These regions are charac-
terized by clear skies and a lack of vegetation.
Consequently, there is a large diurnal cycle of
surface heating, which in turn creates a pronounced
diurnal cycle in the intensity of thermal lows, with a
maximum intensity (i.e., minimum surface pressure)
during the afternoon. Because thermal lows are linked
directly to surface properties, they are nonmigratory in
nature. Moreover, they do not exhibit any frontal
characteristics, nor are clouds or precipitation associ-
ated with them.

Since thermal lows arise from surface heating, the
maximum amplitudes of temperature and circulation
anomalies associated with them are confined to the
lower troposphere (i.e., below 5 kmor 500 hPa).Most
of the desert areas of the world that exhibit strong
thermal lows are surrounded by bodies of water. As a
result, horizontal heating gradients that develop gen-
erate sea and land breezes that influence the thermal-
low circulations. In regions away from the equator, the
low-level inflow associated with the daytime sea
breeze produces, through the action of the Earth’s
rotation (the Coriolis force), a cyclonic vorticity
anomaly in the lower troposphere. The converging
air at low levels in the thermal low also produces
upward motion in the lower troposphere, but sinking
motion occurs aloft. The cyclonic circulation often
persists into the nighttime hours above the surface
following the development of a shallow, nocturnal
temperature inversion. By the morning, subsidence
extends all the way down to the surface.

Because of the clear-sky conditions and high surface
reflectance (albedo) of the desertlike areas where
thermal lows persist, these regions have often been
regarded as large-scale radiative energy sinks. How-
ever, in some thermal low regions dust is raised from
the surface by the intense heating which results in
short-wave absorption that makes at least a portion of
the thermal low region a radiative energy source.

Geographical Distribution

The strongest thermal lows are located over the great
deserts of the world, e.g., the Sahara, Arabian,
Kalahari, Australian Great Western Desert, and Moj-
ave/SonoranDeserts. In these regions the thermal lows
are so strong that they appear as closed lowsor troughs
in the mean-sea-level pressure maps of the summer
hemispheres (Figure 1). For example, note the low-
pressure troughs over the African Sahara, the Indian
subcontinent, and the Southwest US in July and over
northern Australia in January. The trough over
southern Asia near India in July is closely associated
with cross-equatorial flow over the western Indian
Ocean and the Asian summer monsoon.

The locations of thermal lows also correspond to
regions of intense surface heating, as can be seen from
a map of the global distribution of surface sensible
heat flux (Figure 2). The lack of cloudiness, vegetation,
and surface moisture in these regions accounts for the
large values of surface sensible heat flux. Maximum
values upwards of 60–70Wm� 2 can be seen in the
regions of the major deserts. The close relationship
between the thermal lows and surface sensible heat
flux patterns indicates a close physical linkage be-
tween these two features. Specifically, intense, local-
ized heating warms the lower atmosphere and
hydrostatistically reduces the surface pressure in that
region.

The wind vectors illustrated in Figure 1 show
generally confluent surface flow into the thermal
low-pressure areas. This flow arises from strong
horizontal gradients in the surface sensible heat flux
between the desert areas and the surrounding oceans
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(sensible heat fluxes over the ocean are typically
10Wm�2 or less), which drives sea breeze circula-
tions during the daytime hours. At night, a land breeze
or offshore surface flow develops, but the intense
heating causes the sea breeze to dominate over the land
breeze circulation.

Vertical Structure and Energetics

Thermal lows generally develop over arid lands or
deserts in the summertime. Figure 3 depicts the

thermodynamic structure of the troposphere within a
thermal low. The case shown represents a synthesis of
data from research aircraft flights over the Arabian
desert, although it is typical of other desert regions. To
illustrate mixing processes in the atmosphere, vertical
profiles of two conserved thermodynamic quantities
for dry atmospheric motions, the specific humidity q
and the potential temperature y, are plotted in Figure
3. From the surface to about 5 km or 550 hPa, y is
approximately constant and q decreases with height.
This structure is characteristic of deep, continental
atmospheric boundary layers containing vigorous, dry

Figure 1 Maps of mean sea-level pressure for January and July. Wind vectors for the 1000hPa level are superimposed. Data are

1980–87 analyses from a forecast model. The contour interval is 5 hPa and the largest vector represents a wind speed of 12ms�1.

(Reproduced with permission from Hartmann DL (1994) Global Physical Climatology. San Diego, CA: Academic Press.)
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convective plumes or thermals. The sharp vertical
gradients of q and y near 5 km represent a transition
zone between turbulent air in the atmospheric mixed
layer below and laminar flow in the free atmosphere

above. The vertical gradients in q and y in the upper
part of the mixed layer are a result of entrainment of
drier (lower q) and potentially warmer (higher-y) air
from above into the mixed layer. At night, radiational
cooling acts to decrease y in the lowest kilometer,
creating a nocturnal inversion.

Thermal lows typically exist in regions of large-scale
subsidence. However, owing to the development
of sea breezes during the daytime, the vertical
motion in the lowest levels can become upward
during the day. This behavior can be seen in
Figure 4, which contains profiles of vertical motion
at day and night over the Arabian desert. Above
800 hPa there is sinking motion during both day and
nighttime hours, although it is weaker during the day
owing to short-wave radiative heating of the surface
and atmosphere.

The vertical profiles of vertical motion in Figure 4
imply horizontal divergence in the lower to middle
troposphere. This divergence is consistent with heat-
ing in the lower troposphere that lifts isobaric surfaces
above the heat source and produces a midlevel high
and coincident outflow of air. This outflow in turn
reduces the surface pressure and assists in the inflow of
air into the surface low. Part of the outflowing air aloft
during the daytime represents the returnflowof the sea
breeze circulation.

Figure2 Global distributionof the sensible heat flux from the earth’s surface into the atmosphere inWm� 2 for annual-mean conditions.

(Reproduced with permission from Peixoto JP and Oort AH (1992) Physics of Climate. New York: American Institute of Physics.)
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The structure of the Arabian heat low part II: Bulk tropospheric

heat budget and implications. Monthly Weather Review 114:
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The vertical structure of thermal lows can also be
considered from an energy budget perspective. Field
studies of thermal lows show that the raising of dust by
daytime heating makes their energetics rather com-
plex. To illustrate this complexity, the vertical struc-
ture of the energy balance of the Arabian heat low is
shown in Figure 5. This heat low can be characterized
as a three-layer system. The lower atmosphere forms a
deep mixed layer from the surface to 550 hPa. An
upper layer from 550 hPa to the upper boundary is a
region where radiative cooling is approximately bal-
anced by adiabatic heating (subsidence warming). A
middle layer from 550 to 800 hPa undergoes both
sensible and radiative heating. The sensible heating
arises from the convergence of eddy heat flux owing to
mixed-layer turbulence. The radiative heating results
from enhanced daytime shortwave absorption due to a
substantial aerosol or dust loading. The dust is
generated locally by daytime vigorous boundary layer
thermals and associated gusty surface winds. In the
lower layer (surface to 850 hPa) the convergence of
eddy heat fluxes dominates radiative cooling, resulting
in a net lower-tropospheric warming.

Theprocesses illustrated inFigure 5 indicate that the
middle and lower troposphere undergoes a net energy
gain due to diabatic processes. The onlymechanism to

balance this energy gain is a lateral transport of energy
out of the region. For the Arabian heat low, the main
lateral transport is over the Arabian Sea, where the
warm air serves to maintain the West Arabian Sea
inversion. This inversion acts to trap water vapor in
the lower troposphere as it is carried toward India in
the strong south-west summer monsoon flow. This is
one mechanism by which thermal lows can have an
important influence on surrounding weather patterns.

Dynamics and the Diurnal Cycle

Direct observations indicate that a low-level cyclonic
circulation develops typically within thermal lows
with amaximum amplitude during the daytime hours.
Observations are rather sparse, however, anddetails of
the diurnal cycle of this circulation have not been well
documented. Therefore, numerical modeling studies
have been used to provide further insight into the
dynamics of thermal lows.

Numerical simulations of thermal lows over land
surrounded by an ocean show a pronounced diurnal
cycle in the circulation patterns. In fact, the circulation
cannot be understood without consideration of the
diurnal cycle. Simulations show thatwhile the thermal
low has a surface pressure minimum in the late
afternoon following strong solar heating of the land,
the relative vorticity is strongest in the early morning
hours as a result of a prolonged period of low-level
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convergence. Thus the thermal low is not approxi-
mately in quasi-geostrophic balance.

A depiction of the zonal, meridional, and vertical
velocity components at 03.00 LST for an idealized
simulation of a thermal low over a 600 km� 600 km
land area surrounded by ocean at 201N is shown in
Figure 6. Low-level convergence, initially developed
in connection with a daytime sea breeze, is seen in
the early morning hours to evolve into a nocturnal
low-level jet. This jet develops as a result of strong
nocturnal surface cooling over land. The earth’s
rotation acting on this circulation generates a cyclonic
circulation at low levels, evident in the meridional
wind field. The sea breeze return flow aloft is
horizontally divergent and it generates an anti-
cyclonic circulation at upper levels, again evident in

the meridional wind field. Rising motion occurs
at low levels and sinking motion aloft, consistent
with the daytime pattern illustrated in Figure 4. The
vertical motion over the land eventually reverts to
sinking at all levels by 06.00 LST, as in the nighttime
curve in Figure 4.

The dynamics of thermal lows can also be consid-
ered from a potential vorticity perspective. Observa-
tions of the summertime thermal low over the Iberian
Peninsula (Spain) show that as an unstable lapse rate
forms in the afternoon, a negative potential vorticity
anomaly develops over the peninsula. This negative
anomaly exists within a large-scale environment of
positive potential vorticity. At night this negative
anomaly disappears as stable air develops near the
surface due to nocturnal cooling. It has been postu-
lated that the dome of negative potential vorticity
associated with the thermal low over the Iberian
Peninsula can act to inhibit the development of nearby
Algerian lows by increasing the effective interaction
distance between upper-level and low-level potential
vorticity anomalies.

See also

Aerosols: Role in Radiative Transfer.Boundary Layers:
Surface Layer. Coriolis Force. Deserts and Desertifi-
cation. Diurnal Cycle. Dust. Energy Balance Model,
Surface.Land–SeaBreeze.Reflectance andAlbedo,
Surface.
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Introduction

The thermodynamics of air is complicated by the
presence of a mixture of gases, with water vapor
having a variable concentration in the atmosphere.
The term ‘moist air’ refers to the dry air gases
(predominantly nitrogen and oxygen) plus water
vapor. The basic thermodynamics ofmoist air includes
the equation of state, and applications of the first and
second laws of thermodynamics to the moist atmos-
phere (but excludes clouds and the condensation
process). These principles of thermodynamics are
used to determine how moist air responds to heating
and cooling, and how its temperature changes in
response to rising and sinking motions. Thermody-
namic processes related to condensation, clouds, and
precipitation are considered in Thermodynamics:
Saturated Adiabatic Processes.

Equation of State for Air

Except when water vapor is near condensation, air is
observed to obey the ideal gas law

pV ¼ nRnT ½1�

where p is pressure, V is volume, n is the number
of moles, Rn is the universal gas constant, and
T is temperature. Since the volume and number of
moles are not easily measured in the atmosphere,
a more useful form of the ideal gas law can be
obtained by dividing both sides of eqn [1] by mass,m,
yielding

p
V

m
¼ n

m
RnT ½2�

Using the definitions of molecular weight, M ¼ m=n,
and specific volume, v ¼ V=m, eqn [2] can be written
as

pv ¼ Rn

M
T ½3�

A specific gas constant, R, may be defined as
R ¼ Rn=M, so that eqn [3] becomes

pv ¼ RT ½4�
Strictly speaking, air does not have a molecular

weight, since it is a mixture of gases and there is no
such thing as an ‘air molecule’. However, it is possible
to assign an apparent molecular weight to air, since air
as a mixture is observed to behave like an ideal gas. By
applying Dalton’s law of partial pressures, which
states that the total pressure exerted by a mixture of
gases is equal to the sum of the partial pressures that
would be exerted by each constituent alone, it can be
determined that each gas individually obeys the ideal
gas lawand that the ideal gas law for amixture of gases
can be written as

V
X
j

pj ¼ T
X
j

mjRj

where pj,mj, and Rj are the partial pressure, mass and
specific gas constant for the jth constituent, and we
have used v ¼ V=m. We can now define a mean
specific gas constant as

�RR ¼
P

j mjRj

m
½5�

The equation of state for the mixture of dry air gases
can therefore be written as

pv ¼ RdT ½6�
whereRd is the specific gas constant for dry air. For the
gaseous composition of the dry air (which excludes
water vapor), a value for Rd is determined to be
287.104 JK� 1 kg� 1. The mean molecular weight of
the mixture is

�MM ¼
P

i niMi

n
¼ m

n

2274 THERMODYNAMICS /Moist (Unsaturated) Air



The mean molecular weight for dry air gases, Md, is
determined to be 28.96 gmole�1.

The equation of state for air is complicated by the
presence of water vapor, which has a variable amount
in the atmosphere. Assuming that the water vapor is
not near condensation, the ideal gas law may be used
and we have

e ¼ rvRvT ½7�
where the notation e is commonly used to denote the
partial pressure of water vapor and the subscript v
denotes the vapor. The specific gas constant for water
vapor is Rv ¼ Rn=Mv ¼ 461:51 JK�1 kg�1. In a mix-
ture of dry air and water vapor (moist air), the
equation of state is

p ¼ pd þ e ¼ ðrdRd þ rvRvÞT ½8�
The subscript d denotes the dry air value, and the
absence of a subscript denotes the value for the
mixture of dry air plus water vapor.

The specific gas constant for moist air is determined
from eqn [5] to be

R ¼ ðmdRd þmvRvÞ
ðmd þmvÞ ½9�

where md and mv are the mass of dry air and water
vapor, respectively, and m ¼ md þmv: The specific
humidity, qv, is defined as

qv ¼ mv

mv þmd
½10�

so that the specific gas constant for moist air can be
written as

R ¼ ð1� qvÞRd þ qvRv ¼ Rdð1þ 0:608 qvÞ ½11�
Incorporating eqn [11] into eqn [8], the equation of
state for moist air becomes

pv ¼ Rdð1þ 0:608 qvÞT ½12�
It is awkward to have a variable gas constant, so it is

the convention among meteorologists to make the
humidity adjustment to the temperature rather than to
the gas constant. Thuswe define a virtual temperature,
Tv:

Tv ¼ ð1þ 0:608 qvÞT ½13�
so that the ideal gas law for moist air becomes

pv ¼ RdTv ½14�
The virtual temperature may be interpreted as the
temperature of dry air having the same values of p and
v as themoist air under consideration. Since qv seldom
exceeds 0.02, the virtual temperature correction rarely

exceedsmore than 2 or 31C; however, the small virtual
temperature correction has an important effect on
buoyancy and hence vertical motions in the atmos-
phere.

First and second laws of
thermodynamics

The first law of thermodynamics is an extension of the
principle of conservation of mechanical energy. We
can use the conservation principle to define a function
U called the internal energy. When an increment of
heat dQ is added to moist air, the energy is used to
increase the speed of themolecules (i.e., to increase the
temperature of the system). The internal energy of a
system can increase when heat enters into the system
from the surroundings, and/or when work, dW, is
done on the system by the surroundings. If we take dU
to denote an increment of internal energy, then

dU ¼ dQþ dW ½15�
This statement is the differential formof the first lawof
thermodynamics.

The type of work of primary importance in the
atmosphere is expansion work, which is defined as

dW ¼ �p dV ½16�
where dV is the differential volume change associated
with the work done against the external pressure, p.
There are numerous examples of expansion work in
the atmosphere, wherein a parcel of air rises in the
atmosphere and its pressure decreases and volume
increases. Some processes that cause air to rise are:

(a) orographic lifting
(b) frontal lifting
(c) low-level convergence
(d) buoyant rising of warm air
(e) mechanical mixing.

Under conditions of expansion work, the first law of
thermodynamics is written as

dU ¼ dQ� p dV ½17�
The first law of thermodynamics can also bewritten in
terms of enthalpy, where enthalpy, H, is defined as
H ¼ U þ pV:

dH ¼ dQþ V dp ½18�
Equations [17] and [18] are equivalent forms of the
first law of thermodynamics. The enthalpy form of the
first law is advantageous when considering constant-
pressure processes, and is more often used in atmos-
pheric science.
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A change in heat is related to temperature by

dQv ¼ mcv dT

for a constant-volume process and

dQp ¼ mcp dT

for a constant-pressure process, where cv is the specific
heat at constant volume and cp is the specific heat at
constant-pressure. This implies, from eqns [17] and
[18], that for ideal gases

dU ¼ mcv dT

dH ¼ mcp dT

For an ideal gas, it can be shown that cp � cv ¼ R,
whereR is the specific gas constant. The magnitude of
cp is greater than cv because in a constant-pressure
expansion part of the heat is used for expansion work,
while in constant-volume heating all of the heat is used
to increase the temperature.

The second law of thermodynamics limits both the
amount and the direction of heat transfer. According
to the second law, a given amount of heat cannot be
totally converted into work, thus limiting the amount
of heat transfer, and the spontaneous flowof heatmust
be from abody or substancewith a higher temperature
to one with a lower temperature, thus stipulating the
direction of heat transfer.

Central to understanding the second law of ther-
modynamics is the concept of reversible and irrevers-
ible processes. A reversible process is one in which the
system is in an equilibrium state throughout the
process. Thus the system passes at an infinitesimal
rate through a continuous succession of balanced
states that are infinitesimally different fromeachother.
In such a scenario, the process can be reversed, and the
system and its environment will return to the initial
state. Irreversible processes proceed at finite rates: if
the system is restored to its initial state, the environ-
ment will have changed from its initial state. The term
‘irreversible’ does not mean that a system cannot
return to its original state, but that the system plus its
environment cannot be thus restored. Examples of
irreversible processes in the atmosphere are radiative
transfer and precipitation.

According to the second law of thermodynamics,
there exists an additive function of state known as the
equilibrium entropy, which can never decrease in a
thermally isolated system. In other words, a thermally
isolated system cannot spontaneously regain order
which has been lost. The second lawmay be applied to
a system and its surroundings to determine the total
entropy change DZtot

DZtot � 0

which is known as Clausius’ inequality. For the special
case of a reversible adiabatic process, the entropy
change will be zero in the system alone, DZsyst ¼ 0, for
all reversible adiabatic changes. Reversible adiabatic
processes are therefore isentropic.

Consider the first law of thermodynamics in enth-
alpy form (eqn [18]) for a reversible process:

1

m
dQ ¼ cp dT � v dp

Reversible heating is an abstract concept, whereby
heating of a system occurs infinitesimally slowly
through contact with an infinite heat reservoir. For
the reversible expansion of an ideal gas, we may
substitute for the specific volume from the equation of
state and divide by temperature:

1

m

dQ

T
¼ cp

dT

T
� R

dp

p

¼ cp dðln TÞ � Rdðln pÞ ½19�
We can now define a new thermodynamic state

function, the entropy, Z, with units J K� 1 kg�1, to be

dZ ¼ dQ

T

� �
rev

½20�

Entropy changes for an ideal gas can be determined
from eqns [19] and [20]:

1

m
dZ ¼ cp dðlnTÞ � R dðln pÞ ½21�

Adiabatic Processes in the Moist
(but Unsaturated) Atmosphere

We first apply the first law of thermodynamics to dry
air. The thermodynamic characteristics of dry air have
been shown to be:

1. the equation of state is pv ¼ RdT;
2. the internal energy is a function of its temperature

alone ðdU ¼ mcv dT; dH ¼ mcp dTÞ;
3. the specific heats are related by cp � cv ¼ Rd.

The first law of thermodynamics for dry air is thus
written as

mcv dT ¼ dQ� p dV ½22a�

mcp dT ¼ dQþ Vdp ½22b�
in internal energy (eqn [22a]) and enthalpy (eqn [22b])
forms.

An adiabatic process is one in which no heat is
exchanged between the system and its environment, so
that dQ ¼ 0. The first law in enthalpy form for an
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adiabatic expansion of an ideal gas is thus written

cp dT ¼ v dp ½23�
where eqn [23] has been divided by mass ðmÞ and v ¼
V=m is the specific volume. Considering a reversible
adiabatic expansion for an ideal gas,we have from eqn
[23] and the equation of state eqn [6]

cp
dT

T
¼ Rd

dp

p
½23a�

which may be integrated between an initial and final
state to give

cp ln
T2

T1

� �
¼ Rd ln

p2
p1

so that

T2

T1
¼ p2

p1

� �Rd=cp

½24�

This relationship holds for reversible, adiabatic pro-
cesses.

The lifting of air parcels by processes such as
orographic lifting, frontal lifting, low-level conver-
gence, and vertical mixing causes pressure to decrease,
with a corresponding temperature decrease that is
specified by eqn [24]. The lifting of air parcels can be
considered a dry adiabatic process as long as conden-
sation does not occur.

If we choose p0 ¼ 1000 hPa to correspond to a
temperature y, eqn [24] becomes

y ¼ T
p0
p

� �Rd=cp

½25�

where Rd=cd ¼ 0:286 for dry air. The temperature
y is called the potential temperature. It is the temper-
ature a sample of gas would have if it were com-
pressed (or expanded) in an adiabatic reversible
process from a given state, p and T, to a pressure of
1000 hPa. y is a conservative quantity for reversible
adiabatic processes in the atmosphere. Consider an
atmospheric temperature profile with a lapse rate
G ¼ 6 �Ckm�1. For atmospheric pressures less
than 1000 hPa, the potential temperature of a
sample of air is greater than the physical tempe-
rature, since adiabatic compression must be done
to lower the parcel to 1000 hPa. Conversely, the
potential temperature of a sample of air with
pressure greater than 1000 hPa will be less than
the physical temperature. At a pressure level of
1000 hPa, y ¼ T.

A relationship between entropy and potential tem-
perature for the dry atmosphere is derived by loga-

rithmically differentiating eqn [25]

dðln yÞ ¼ dðlnTÞ � Rd

cp
dð ln pÞ: ½26�

Comparison of eqn [26] with eqn [23a] shows that

1

m
dZ ¼ cp dðln yÞ ½27�

Thismeans that for reversible processes in an ideal gas,
potential temperature may be considered an alterna-
tive variable for entropy.

Equation [25] does not account forwater vapor.The
specific heat of moist air is

cp ¼ ð1� qvÞcpd þ qvcpv � cpdð1þ 0:87qvÞ ½28�
where the subscripts d and v refer to dry air and water
vapor, respectively. The ratio R=cp for moist air can
then be determined from eqn [11] to be

R

cp
¼ Rd

cpd

1þ 0:608qv
1þ 0:87qv

� �
� Rd

cpd
ð1� 0:26qvÞ ½29�

The potential temperature of moist air then becomes

y ¼ T
p0
p

� �Rdð1�0:26qvÞ=cpd
½30�

The difference between the dry air andmoist air values
of y is generally less than 0.11C, so that adiabatic
expansion or compression of moist air can be treated
as if it were dry air. Note that y is not conserved if a
phase change of water occurs. We can also define
a virtual potential temperature, yv, by neglecting
the water vapor dependence of the exponent of
eqn [30] and replacing the temperature by the virtual
temperature

yv ¼ Tv
p0
p

� �Rd=cpd

½31�

If we consider the adiabatic ascent of a parcel of air
in the atmosphere, the temperature of the parcel will
decrease and the potential temperaturewill remain the
same. The rate of decrease of temperature with height
in an adiabatic ascent can be determined by consid-
ering the first law in enthalpy form for an adiabatic
process (eqn [23])

cp dT ¼ v dp

If we assume that the ascent of the parcel does not
involve any large vertical accelerations and the
hydrostatic relation applies, we can substitute the
hydrostatic relation

g ¼ � 1

r
qp
qz
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where r is the density of air, into eqn [23] to give

cp dT ¼ �g dz

From the definitionof lapse rate, G ¼ �dT=dz,we can
write an expression for the dry adiabatic lapse rate,Gd,
as

Gd ¼
g

cp
½32�

which has a value of approximately 9.8Kkm�1. Both
eqn [25] and eqn [32] describe the temperature evolu-
tion of a parcel of air in dry adiabatic ascent, but eqn
[32] is slightly more restrictive than eqn [25] in that it
applies only to a hydrostatic process. The adiabatic
lapse rate for moist air differs only slightly from eqn
[32] and can be expressed as

G ¼ g

cpð1þ 0:87qvÞ

Outside of clouds, diabatic processes (e.g., radiative
heating) operate on much longer timescales than the
characteristic timescale of vertical displacement of the
air parcel. Therefore, the lifting of air parcels by
processes such as orographic lifting, frontal lifting,
low-level convergence, and vertical mixing can be
considered dry adiabatic processes as long as conden-
sation does not occur.

See also

Humidity Variables. Thermodynamics: Saturated Ad-
iabatic Processes.
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Introduction

Adiabatic processes of moist (but unsaturated) air are
described elsewhere in this encyclopedia (see Ther-
modynamics: Moist (Unsaturated) Air), and it is
shown that potential temperature remains constant
during such processes as long as condensation does not
occur. Once condensation occurs in adiabatic cooling
associatedwith ascent, the latent heat of condensation
is released. The rate at which saturated air cools as it
expands adiabatically is smaller than the rate at which
unsaturated air cools adiabatically, because part of the
cooling is canceled by the latent heat released during
condensation.

The term ‘saturation’ indicates that the atmosphere
has a relative humidity of 100% or greater, with
respect to either liquid water or ice (see Humidity
Variables). In saturated air, the thermodynamic
system under consideration consists of dry air gases
(primarily nitrogen and oxygen), water vapor,
and water in a condensed phase (liquid and/or ice
particles).

The relative humidity is defined in eqn [1].

H ¼ wv

wsðTÞ ½1�

In eqn [1], wv is the water vapor mixing ratio
(defined as the ratio of the water vapor mass to the
dry air mass) and ws is the saturation mixing ratio
(defined as the ratio of the water vapor mass at
saturation to the dry air mass). For initially
unsaturated air to become saturated, the relative
humidity must increase. An increase in relative
humidity can be accomplished by increasing the
amount of water vapor in the air (i.e., increas-
ing wv) and/or by cooling the air, which decreases
wsðTÞ. Here we focus on adiabatic cooling in rising
air as a mechanism for reaching saturation and the
subsequent thermodynamic processes associated
with the adiabatic cooling of saturated (and cloudy)
air.

Adiabatic Processes

Expansion in the atmosphere occurswhen air rises due
to mechanical lifting (e.g., orographic, frontal), large-
scale low-level convergence, turbulent mixing, and
buoyancy effects. The expansion is adiabatic if no heat
is exchanged between the air and the environment
(e.g., radiative transfer).

The entropy equation for an adiabatic process for
moist (but unsaturated) air in the absence of conden-
sation is written as eqn [2] (see Thermodynamics:
Moist (Unsaturated) Air).

0 ¼ cp dðln TÞ � R d ðln pÞ ½2�
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In eqn [2], cp is the specific heat at constant pressure of
air, T is temperature, R is the specific gas constant for
air, and p is pressure. From this equation, we can
derive an expression for the potential temperature, y
(eqn [3]).

y ¼ T
p0
p

� �R=cp

½3�

The potential temperature is the temperature air
would have if it were compressed (or expanded) in
an adiabatic reversible process from a given state, p
and T, to a pressure of 1000 hPa. y is a conservative
quantity for reversible adiabatic processes in the
atmosphere in the absence of phase changes associated
with condensation. From the definition of lapse rate,
G ¼ �dT=dz, eqn [1], and the hydrostatic equation,
we can write an expression for the dry adiabatic lapse
rate, Gd, (eqn [4]).

Gd ¼ g

cp
� 9:8�C km�1 ½4�

As air expands adiabatically and cools, the relative
humidity increases as the temperature and satura-
tion mixing ratio decrease. The water vapor mixing
ratio remains constant during adiabatic ascent. At
some point, the relative humidity reaches 100%,
and further cooling results in saturation. (Note:
condensation is initiated typically at relative humidi-
ties that slightly exceed 100%.) The temperature
at which saturation is reached can be approximated
using eqn [5].

Ts ¼ 1

1

T � 55
� ln H

2840

þ 55 ½5�

for initial values of T (in Kelvin) andH. From eqn [3],
the saturation pressure, ps, can be determined as in
eqn [6].

ps ¼ p
Ts

T

� �cp=Rd

½6�

The coordinate ðTs; psÞ is known as the saturation
point of the air mass.

During ascent, the water vapor mixing ratio, wv,
remains constant until saturation occurs. The dew-
point temperature (seeHumidity Variables), however,
decreases slightly during the ascent as pressure de-
creases. The lifting condensation level, zs, corresponds
to the level of the saturation pressure, ps, which can be
approximated as in eqn [7].

zs ¼ 0:12ðT0 � TD0Þ ðkmÞ ½7�
This relation is an approximate expression of the
height of the lifting condensation level achieved in an

adiabatic ascent whereT0 andTD0 represent the initial
temperature and dew-point temperature of the air
mass that is being lifted. Calculation of the lifting
condensation level provides a good estimate of the
cloud base height for clouds that form by adiabatic
ascent.

Once saturation occurs, further lifting of the air
mass results in condensation. Because of the latent
heat released during condensation, the decrease of
temperature with height will be smaller than that in
dry adiabatic ascent. In addition, the potential tem-
perature, y, which was conserved in a reversible dry
adiabatic ascent, is no longer conserved once conden-
sation occurs.

The adiabatic entropy equation for air with changes
of phase betweenwater vapor, liquid, and ice iswritten
as eqn [8].

0 ¼ðcpd þwtclÞ dðln TÞ � Rd dðln pdÞ

�wv d
Alv

T

� �
þ d

Llvwv

T

� �

þwi d
Ail

T

� �
� d

Lilwi

T

� � ½8�

Here cpd is the specific heat of dry air, cl is the specific
heat of liquid water, Rd is the specific gas constant for
dry air,wl is the liquid water mixing ratio,wi is the ice
water mixing ratio, wt is the total water mixing ratio,
Llv is the latent heat of vaporization, Lil is the latent
heat of sublimation,Alv is the affinity for vaporization,
and Alv is the affinity for freezing. An approximate
form of the entropy equation that has no ice phase,
assumes that condensation occurs at 100% RH, and
neglects the specific heats of water relative to dry air, is
written as eqn [9].

0 ¼ cpd dðln TÞ � Rd dðln pÞ þ Llv

T
dws ½9�

The saturated adiabatic lapse rate, Gs, can be deter-
mined from the adiabatic entropy equation [9], the
hydrostatic equation, ideal gas law, the Causius–
Clapeyron equation, and dry adiabatic lapse rate
(eqn [10]).

Gs ¼ Gd
1þ ðLlvws=RdTÞ

1þ ðeL2
lvws=cpdRdT2Þ

" #
½10�

In eqn [10], e ¼ 0:622 (the ratio of the molecular
weights ofwater to dry air). The denominator of [10] is
larger than the numerator, and thus GsoGd. Table 1
shows values of Gs for selected values of T and p. It is
seen that the temperature variation of Gs exceeds the
pressure variation. At low temperatures and high
pressures, Gs approaches Gd. Values of Gs determined
from [10] are within about 0.5% of the values
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determined from a more exact form of the entropy
equation [8]. Because of the approximate nature of
eqn [9], Gs is sometimes called the pseudo-adiabatic
lapse rate.

The amount of water condensed in saturated
adiabatic ascent, called the adiabatic liquid water
content, can be determined from the adiabatic entropy
equation [9] and the hydrostatic equation (eqn [11]).

dwl ¼
cp
Llv

dT

dz
þ g

cp

� �
dz ½11�

Substituting Gd ¼ g=cp and Gs ¼ �dT=dz yields
eqn [12]

dwl ¼
cp
Llv

Gd � Gs½ � dz ½12�

Integrating eqn [12] from cloud base to height z gives
the liquid water content at height z. Because of the
complicated form of Gs, this equation must be
integrated numerically. Integration of [12] shows
that the adiabatic liquid water content increases with
height above the cloud base and increasing cloud base
temperature. Because of the variation of Gs with
temperature, clouds with warmer bases have larger
values of Gd � Gs and thus larger values of the
adiabatic liquid water content. The adiabatic liquid
water content represents an upper bound on the liquid
water that canbe produced in a cloudby risingmotion.
Processes such as precipitation andmixingwith dry air
reduce the cloud liquid water content relative to the
adiabatic value.

As adiabatic cooling proceeds, the cloud may
eventually cool to the point where ice crystals form.
Assuming that a water cloud is present initially, then
the formation of ice crystals releases latent heat during
fusion. Once the cloud glaciates, it is supersaturated
with respect to ice, and deposition occurs on the ice
crystals, releasing the latent heat of sublimation, until
the ambient relative humidity is at ice saturation.
Further cooling will result in the increase of ice water

content in the cloud and the release of the latent heat of
sublimation into the atmosphere.

Assuming that the thermodynamic system consists
ofmoist air plus liquidwater, and that the freezing and
subsequent deposition occur isobarically and adiabat-
ically, then the enthalpy of the system will not change
during this transformation. We can idealize this
process by assuming that first the water freezes at
constant temperature and latent heat of freezing is
released, then water vapor is deposited on the ice and
latent heat of sublimation is released. The temperature
change associated with the freezing and subsequent
deposition can be approximated from [8] according to
eqn [13].

DT ¼ Lilwl þ Livws 1� ðesi=esÞ½ �
cp þ ðewiL2

iv=RdT2Þ ½13�

This expression gives the increase in temperature due
to the freezing of cloud water and the subsequent
deposition of water vapor onto the ice crystals. In
clouds that cool by adiabatic ascent, the freezing does
not occur isobarically, but gradually over a tempera-
ture interval.

Once the cloud has glaciated, further adiabatic
ascent results in deposition of water vapor onto the ice
crystals. Analogously to eqn [10], the ice-saturation
adiabatic lapse rate is given by eqn [14], where wsi is
the saturation mixing ratio with respect to ice and Liv

is the latent heat of sublimation.

Gsi ¼ Gd
1þ ðLivwsi=RdTÞ

1þ ðeL2
ivwsi=cpdRdT2Þ

" #
½14�

The melting process is distinctly different from the
freezingprocess.Meltingmayoccur as ice particles fall
to temperatures that are above the melting point. In
contrast to freezing,whichmay be distributed through
a considerable vertical depth, melting of ice particles
can be quite localized, occurring in a very narrow layer
around the freezing point. Cooling of the atmosphere
from the melting can result in an isothermal layer near
01C. Because of their large size and density, hailstones
donotmelt at the freezing level in the samemanner as a
small ice crystal or a snowflake with a low density, but
melt over a deeper layer. If atmospheric relative
humidities are low in the atmosphere below the
melting level, then the melting water will evaporate,
cooling the hailstone and retarding the melting.

Conserved Thermodynamic Variables
under Saturated Conditions

Potential temperature is a conserved variable in
reversible adiabatic processes. The concept of

Table 1 Gs for selected values of temperature and pressure

(K km�1)

T (1C) Pressure ðhPaÞ

1000 700 500

� 30 9.2 9.0 8.7

� 20 8.6 8.2 7.8

� 10 7.7 7.1 6.4

0 6.5 5.8 5.1

10 5.3 4.6 4.0

20 4.3 3.7 3.3
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potential temperature becomes less useful when
applied to a saturated air, since potential temperature
is not conserved during phase changes of water.
Derivation of a potential temperature that is con-
served in saturated adiabatic ascent eliminates the
need to include latent heat source terms in the time-
dependent thermodynamic equation.

An analogous variable that is conserved for a cloud
in adiabatic ascent can be determined that relates
temperature and pressure in a saturated adiabatic
process. A conserved temperature for cloud in adia-
batic ascent can be derived from eqn [8]. A conserved
potential temperature for clouds will obviously be far
more complex than the potential temperature derived
for a dry adiabatic process, since eqn [8] is consider-
ablymore complex than eqn [1]. A number of different
conserved potential temperatures have been used for
clouds that employ various approximate forms of
eqn [8].

The simplest possible case is that in which satura-
tion conditions are maintained, ice is not present, and
the heat capacities of the water vapor and condensed
water are neglected relative to that of dry air. Using
these approximations, the entropy equation [8] be-
comes eqn [15].

0 ¼ cpd dðln TÞ � Rd dðln pÞ þ d
Llvws

T

� �
½15�

For a dry adiabatic process, we have eqn [16] from
eqn [3].

cpd dðln yÞ ¼ cpd dðln TÞ � Rd dðln pÞ ½16�

Equating eqn [3] with eqn [16] yields eqn [17].

�d
Llvws

T

� �
¼ cpd dðln yÞ ½17�

This expression is integrated to a height in the
atmosphere where all of the water vapor has been
condensed out by adiabatic cooling. The correspond-
ing temperature is called the equivalent potential
temperature, ye, given in eqn [18].

ye ¼ y exp
Llvws

cpdT

� �
½18�

It is easily determined that ye>y, which arises from the
latent heat released from the condensation of water
vapor. Because of the approximations made in eqn
[16], the equivalent potential temperature is only
approximately conserved in a saturated adiabatic
process. Although approximate, eqn [18] retains the
essential physics of the process, whereby the conden-
sation of water vapor provides energy to the moist air

and increases its temperature relative to what the
temperature would have been in dry adiabatic ascent.

An alternative but analogous potential temperature,
the liquidwater potential temperature, yl, is derived as
follows. We write eqn [16] as in eqn [19], (where
dws ¼ �dwl)

0 ¼ cpd dðln TÞ � Rd dðln pÞ � d
Llvwl

T

� �
½19�

Then we can follow a procedure analogous to the
derivation of ye write yl as in eqn [20].

yl ¼ y exp �Llvwl

cpdT

� �
½20�

One advantage of yl over ye is that yl reverts to y, the
dry potential temperature, in the absence of liquid
water.

In the presence of ice, an ice–liquid water potential
temperature, yil, can be derived from the approximate
form of eqn [8] given as eqn [21].

0 ¼ cpd dðln TÞ

¼Rd dðln pÞ � d
Llvwl

T

� �
� d

Livwi

T

� �
½21�

yil can then be written as in eqn [22].

yil ¼ y exp �Llvwl

cpdT
� Livwi

cpdT

� �
½22�

The derivation of the ice–liquid water potential
temperature implies that it is applicable only under
conditions of equilibrium, since the affinity termswere
not included. Since ice and liquid are both at equilib-
riumonly at the triple point, use of the ice–liquidwater
potential temperature is inconsistent physically at
temperatures away from the triple point. Neverthe-
less, the ice–liquid water potential is an economical
and not too inaccurate way to treat ice processes in a
numerical cloud model.

The entropy potential temperature, yZ, includes ice
processes and is derived from the complete form of the
adiabatic entropy equation [8] as given in eqn [23].

yZ ¼T
p0
p

� �Rd=ðcpdþwtclÞ

� exp
ðLiv þ AivÞwl

ðcpd þwtclÞT
� ðLil þ AilÞwi

ðcpdþwtclÞT
� � ½23�

The entropy potential temperature is thus the most
general potential temperature considered here.
Unlike yl and yil; yZ is applicable to nonequilibrium
conditions such as subsaturated or supersaturated
environments.
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Another moist thermodynamical variable that is
often used is the moist static energy, h (eqn [24]).

h ¼ ðcpd þwtclÞT þ Llvwv þ ð1þwtÞgz ½24�
The moist static energy is conserved for adiabatic,
saturated, or unsaturated transformations for a closed
system in which the pressure change is hydrostatic.

It is important to note the conditions underwhich ye
and the other conserved thermodynamic variables are
not conserved. Examples include cases where external
radiative heating or conduction takes place, since
these alter the entropy. Other examples include
atmospheric conditions in which latent heating occurs
externally, such as the evaporation of water into air
from the ocean or when precipitation falls out.

See also

Humidity Variables. Thermodynamics:Moist (Unsatu-
rated) Air.
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Introduction

The vertical structure of the Earth’s atmosphere has
been divided scientifically into layers based on the
vertical structure of the temperature field. These layers
are the troposphere, the stratosphere, the mesosphere,
the thermosphere, and the exosphere and they are
separated by boundaries known as the tropopause, the
stratopause, the mesopause, and the exobase. The
troposphere extends between the ground and about
10 km, where most of the weather that we experience
exists. The stratosphere lies between 10 and 50 km,
where the ozone layer resides. The mesosphere lies
between 50 and 80 km, and the thermosphere begins
at around 80 km and extends to about 500 km. The
exosphere begins near 500 kmand extends far out into
space. The number densities of the gases in the
exosphere are so low that continuum fluid dynamics
breaks down and gas particles follow ballistic trajec-
tories and orbits.

The thermosphere is that rarefied region of our
atmosphere where the temperature increases dramat-
ically with altitude. Many satellites orbit in the
thermosphere, experiencing a drag that lowers their
orbit and eventually causes reentry into the atmos-
phere. Embedded within the thermosphere is the
ionosphere, a weakly ionized plasma that has strong
dynamic and electrodynamic interactions with the
neutral gases in the thermosphere. Both the thermo-

sphere and ionosphere are strongly influenced by the
absorption of solar ultraviolet radiation. In the polar
regions, the ionosphere and thermosphere are influ-
enced by the transfer of energy, momentum, and
charge from the interaction of the solar wind with the
Earth’s magnetic field through auroral processes. Both
regions are also influenced by dynamic processes
propagating upward from the lower atmosphere,
such as gravity waves, tides, and planetary waves.
The combined effect of all of theses various forcings
gives rise to the great observed variability that exists in
the thermosphere/ionosphere system.

Global Mean Structure

The physical and chemical processes that establish the
global mean structure of the thermosphere are con-
siderably different from those in the lower atmos-
phere. The basic structure is established primarily by
the absorption of solar extreme ultraviolet (EUV)
radiation at wavelengths shorter than 103 nm, which
can ionize and dissociate the gases in the thermo-
sphere, and by the absorption of solar ultraviolet
radiation (UV) at wavelengths between 130 and
175 nm, which can also dissociate molecular oxygen.
The energetic EUVwavelengths that ionize the gases in
the thermosphere create the ionosphere, a weakly
ionized plasma that is embedded within and interacts
with the neutral gases in the thermosphere. The
radiation also dissociates the molecular species of O2

and N2 into atomic species of O and N, thus changing
the composition of the thermosphere fromamolecular
atmosphere near the mesopause around 80 km to an
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atomic atmosphere near the exobase near 500 km.
Virtually all solar photons at wavelengths less than
200 nm are absorbed by the major constituents of the
thermosphere, O,O2, andN2. The neutral gases of the
thermosphere are heated locally by the absorption of
solar EUV and UV radiation with a heating efficiency
of about 33%. The remaining 67% can be either
radiated upward to space or downward where it is
absorbed in the lower atmosphere as airglow. It can
also endup as chemical energy from the dissociation of
molecular species into atomic species that are trans-
ported away from the site of photodissociation.
Chemical energy can be transported long distances in
the thermosphere because recombination, with the
release of chemical energy, is a three-body reaction
that requires a high density of neutral particles to
proceed rapidly. This occurs mainly in the lower
thermosphere near 90 km, where the atomic oxygen
density peaks and therefore the atomic species must be
transferred to the lower thermosphere in order to
recombine.

The infrared cooling mechanisms in the thermo-
sphere (5.3 mm emission from NO, 15 mm emission
fromCO2, and 63 mmemission from the fine structure
of the ground level of O) are all relatively weak and
they are not sufficient to balance the solar heating and
maintain radiative equilibrium. The thermosphere is
therefore cooled by downward molecular heat con-
duction above about 120 km and by downward eddy
heat conduction to the vicinity of themesopausewhere
infrared (IR) cooling becomes sufficiently large to
radiate the excess energy to space. Downward thermal
conduction implies that the temperature increases
with altitude, thus giving a positive temperature
gradient with increasing altitude in the lower thermo-
sphere. In the upper thermosphere, the molecular
thermal conduction coefficient becomes sufficiently
large because of the rarefied atmosphere that it
dominates the local heating rate. Therefore, the
temperature becomes isothermal with altitude at a
value called the exospheric temperature.

There is a large variation of temperature and density
in the thermosphere because of a large variation of
solar EUV and UV radiation with time. The global
mean temperature profile as a function of the solar
activity represented by the solar 10.7 cm radio emis-
sion, which correlates well with the solar EUV flux, is
shown in Figure 1. There is an exospheric temperature
increase of about 600K between solar minimum and
solar maximum conditions, with a corresponding
density increase of about an order of magnitude at
500 km altitude. At short solar EUV wavelengths, less
than 30 nm, the EUVemissions that emanate from the
Sun’s corona, its outer atmosphere, are highly varia-
ble, increasing by factors of 10–100 between solar

minimum and maximum. For wavelengths between
30 and 120 nm, the emissions that emanate from the
chromosphere, amore stable region below the corona,
are much less variable, showing factors of 2–3. At
largerwavelengths, the variability then decreases from
a factor of 2 near 100 nm to a factor of 1.1 near
200 nm. In addition to the overall change in solar
radiation between solar minimum and maximum,
there are also shorter-term variations on a daily basis,
with the coronal emission being much more variable
than the chromosphere emissions. There are hourly,
daily, and 27-day solar rotation variations in addition
to impulsive solar flare spectral irradiance changes
that influence the thermal, compositional, and dy-
namic structure of the thermosphere and ionosphere.

The thermosphere is also the region where the
aurora occurs inmagnetic conjugate polar cap regions
(Figure 2). The energy and momentum inputs into the
ionosphere and thermosphere are governed by the
interaction of the highly variable solar wind with the
Earth’s geomagnetic field. The energetic aurora elec-
trons and protons bombard the high-latitude thermo-
sphere and ionize the neutral gas, dissociate molecular
species, and excite various atomic and molecular
energy levels that produce the airglow seen visually
from the ground and space. There is also a current
system of about a million amperes associated with the
aurora; the Joule dissipation of these currents strongly
heats the thermosphere in the polar regions. The J3B
momentum force of this current system can also
accelerate the gases in the thermosphere through
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collisions with the drifting ions. The auroral particle
and Joule heating rates are highly variable, being on
the order of 1010W, 1011W, and 1012W for quiet,
moderate, and highly disturbed auroral conditions,
respectively.

Thermosphere Heating and Cooling
Processes

To calculate the global average structure of the
thermosphere, the thermodynamic and multispecies
composition vertical structure equations must be
solved simultaneously. The time rate of change of
temperature is determined by a balance between
downward molecular and eddy heat transport and
radiative heat sources and sinks. In the thermosphere,
the neutral gas heating rate above 100 km consists of
the following ten component processes: (1) absorption
of solar UV radiation in the O2 Schumann–Runge
continuum region (130–175 nm); (2) likewise for the
Schumann–Runge bands (175–210 nm); (3) heating
by exothermic ion-neutral chemical reactions; (4)
heating by exothermic neutral–neutral chemical reac-
tions; (5) heating by elastic and inelastic collisions
between ambient electrons, ions, and neutrals; (6)

quenching of metastable species, such as O(1D) by N2

andO2; (7) atomic oxygen recombination; (8) heating
by fast photoelectrons and auroral electrons; (9) Joule
dissipation of ionospheric currents in the aurora and
dynamo region; and (10) heating by the molecular
dissipation of tides, planetary waves, and gravity
waves excited in the lower atmosphere that propagate
to thermospheric heights.

The main cooling processes for the thermosphere
are: (1) molecular heat conduction; (2) eddy heat
conduction; (3) CO2 15 mm radiation; (4) NO 5.3 mm
radiation; and (5) O 63 mm radiation.

The vertical structure equation for composition
includes: (1) molecular diffusion; (2) eddy diffusion;
(3) composition sources; and (4) composition sinks. A
global average vertical structure of temperature and
major species number density for solar cycle medium
solar F10:7 ¼ 150 are shown in Figure 3.

Equations of Motion

The equations of motion governing the dynamics of
the thermosphere are the same as those used by
meteorologists studying weather systems in the lower
atmosphere; however, they need to be modified to
consider three additional processes that are important
at thermospheric heights. These are the viscous force,
ion drag force, and pressure forces generated by
differences in composition or mean molecular mass.

Kinematic molecular viscosity increases exponenti-
ally with altitude by several orders ofmagnitude in the
thermosphere. Itsmain effect is to transfermomentum
between the various altitude regions and thus to
smooth out vertical gradients in wind velocity. This
viscous force becomes so strong in the upper thermo-
sphere that the winds are uniform with altitude above
300 km. It is also large enough to prevent the devel-
opment of large horizontal shears and it effectively
dissipates any turbulent structures. The viscous force
depends upon the vertical wind shear and a charac-
teristic time rate of change associated with viscosity is
around 10� 4 s� 1 at around 200 km, varying expo-
nentially with altitude as the inverse air density for
heights above and below.

The ion drag force is associated with the Ampère
acceleration J3B that is important in the thermo-
sphere. It is a collisional interaction of the neutral
particles in the thermosphere with the charged parti-
cles of the ionosphere. It can be expressed as drag
terms that are added to the zonal and meridional
momentum equations (eqns [1] and [2]).

Dx ¼ lxxðUI �UNÞ þ lxyðVI � VNÞ ½1�

Dy ¼ lyyðVi � VNÞ � lyxðUI �UNÞ ½2�

Figure 2 The auroral image, displayed as a geographic polar

projection covering latitudes greater than 401, illustrates the large

spatial extent of the aurora during the later stages of a magnetic

storm. This image was obtained from the University of Iowa’s

auroral imaging instrumentation on board the NASA satellite

Dynamics Explorer 1 using an ultraviolet photometer in the

123–165nm wavelength region.
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In these equations, the l terms are given by eqns [3]
and [5].

lxx ¼ sPB2r�1 ½3�

lxy ¼ lyx ¼ sHB2r�1 sin I ½4�

lyy ¼ sPB2r�1 sin2 I ½5�
In eqns [1] to [5], sP and sH are the Pedersen and Hall
electrical conductivities; B is the magnitude of the
magnetic field strength; I is themagnetic dip angle; r is

the neutral gas density; UI and VI are the meridional
and zonal ion drift velocities, respectively, andUN and
VN are the zonal and meridional neutral wind com-
ponents, respectively; andDx andDy are the ion drag
terms to be added to the zonal and meridional
momentum equations.

The coefficients ðlÞ are called the ion drag coeffi-
cients because the acceleration is a frictional force
resulting from ion–neutral collisions. At thermospher-
ic heights above 120 km, the ion–neutral collision
frequency is much smaller than the ion gyro frequency
(the frequency at which a charged particle spirals
around a magnetic field line), and therefore ions are
locked to geomagnetic field lines and can only move
with them when driven by an electric field. Outside of
the auroral zone, electric fields are small and, to a first
approximation, the ions can be considered to simply
corotatewith themagnetic field of the Earth. A neutral
wind flowing through the corotating ions experiences
a collisional drag that becomes amaximumat the peak
of the ionospheric density layer near 300 km and this
drag provides the main resistance that balances the
pressure force. During the day, when the ionization
and hence ion drag are large, the wind flows across
constant-pressure surfaces from the subsolar high-
temperature, high-pressure region to the antisolar
low-temperature, low-pressure region of night. At
night, the density of electrons and ions decays and the
thermospheric pressure forces drivemuch largerwinds
because of the reduced ion drag. In the daytime F-
region ionosphere near 300 km, the Pedersen ion drag
characteristic inverse time constant can exceed
10�3 s� 1, which is much greater than the character-
istic inverse time constant associated with the inertial
andCoriolis terms in themomentum equation.During
the day, the Hall ion drag coefficient peaks near
125 km, with a value that can be less than 10� 4 s�1,
roughly comparable with the Coriolis parameter. This
acceleration acts perpendicular to the wind vector and
is usually opposite in sign to the Coriolis acceleration.

There is also a Joule heating term [6] that is added to
the thermodynamic equation.

QJ ¼ lxxðUI �UNÞ2 þ lyyðVI � VNÞ2 ½6�

At high magnetic latitudes, large electric fields asso-
ciated with ion convection can drive large ion drift
velocities (	100–2000m s� 1) and thus there can be
strong acceleration of the neutral winds in the direc-
tion of the ion convection pattern. However, the
atmosphere will adjust hydrodynamically to this
forcing in a complex fashion, either flowing with the
drifting ions or building up a back pressure to resist the
momentum forcing. Thus the electric fields are both a
heat source for the neutral atmosphere, converting the
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orderedmotion of theE3B charged particle drift into
increased random thermal motion through collisional
processes, and a momentum source ðJ3BÞ because of
the transfer of charged particle momentum to the
neutral gas through collisional processes.

An important contrast between the atmosphere
above 100 km and the lower atmosphere is that above
100 km the major gaseous atmospheric constituents
are no longer uniformly mixed. Above about 160 km,
each gas is separately in hydrostatic balance with its
own local pressure scale height defined by RnT=m
where m is the molecular mass of the gas, T is
temperature, andRn is the universal gas constant. This
state is referred to as diffusive equilibrium. Between
100 km and 160 km, the atmosphere is neither mixed
nor in diffusive equilibrium. In particular, molecular
oxygen (O2) is dissociated into atomic oxygen (O) at
these levels and the Omust be transported downward
to below 100 km before the atmosphere is dense
enough for chemical recombination to occur. The
photoproduction of O from O2 occurs slowly, with
maximumdaytime time scales of several days ormore,
so it cannot drive large diurnal variations in compo-
sition. However, transport by large-scale atmospheric
motions can be large enough to force significant
departures from diffusive equilibrium on both diurnal
and longer time scales. Indeed, the meanmotion in the
thermosphere is a circulation from the summer pole to
the winter pole and this circulations transports atomic
oxygen from the summer hemisphere, where it is
dissociated, to the winter hemisphere, where the
maximum densities occur. The simplest feedback of
composition on the dynamics is the ‘virtual tempera-

ture’ effect. That is, the sum of the partial pressures of
all the gases taken together is in hydrostatic equilib-
rium, the vertical variation of geopotential height is
proportional to Tm�1 wherem is the mean molecular
mass determined by local composition. Dynamic
processes tend to eliminate horizontal pressure gradi-
ents, or, equivalently, gradients of geopotential height
on a constant-pressure surface. Hence, motions tend
to weaken gradients in Tm�1 with the result that large
temperature anomalies are expected to accompany
large anomalies in m. Thus, composition – through
variations in the mean molecular mass – has an
important influence on the pressure force in the
thermosphere.

There are other heat and momentum sources acting
in the thermosphere. These include heat conduction in
the plasma from the magnetosphere to the ionosphere
and eventually to the neutral atmosphere, dissipation
by thermal conduction, molecular viscosity, and com-
positional damping of tidal, planetary, and gravity
waves that are excited in the lower atmosphere and
propagate upward; Joule heating by tide-driven iono-
spheric current systems; and all sorts of plasma energy
and momentum interactions with the neutral atmos-
phere. The global impact of all of these interactive
processes and the coupling of the small-scale phenom-
ena with global scale processes is not completely
known.

A schematic of the various physical and chemical
process acting in the thermosphere is shown in
Figure 4. The magnetospheric electric field is gene-
rated by the interaction of the solar wind with the
Earth’s magnetic field where the interactions produces

Solar EUV, UV, and auroral inputs

Ionosphere
O+ diffusion
with ion drift

Thermosphere
structure

and winds
Ionospheric

dynamo

Photochemistry

Vnll

Vn⊥

Tides

J × B

E × B Drift

�P, �H

Magnetospheric
electric field

Figure 4 Schematic of various physical and chemical processes operating in the thermosphere and ionosphere system.
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a large horizontal scale potential drop across the polar
cap. The resulting dawn-to-dusk electric field maps
down to thermospheric heights, where it causes the
ionospheric ions to drift in an E3B direction and,
through collisions with the neutral gas, affects neutral
dynamics. To model the thermosphere one needs to
consider the complex interactions between neutral
and plasma dynamics and electrodynamics. Thus, a
general circulation model of the thermosphere must
include the interactions with the ionosphere, energy
and momentum inputs from the magnetosphere and
lower atmosphere, and the electrodynamics interac-
tions throughout the system.

Global Geomagnetic Quiet Time
Circulation

The dominant effect driving the winds in the thermo-
sphere is the diurnal variation in the absorption of
solar EUVand UVradiation, which heats and expands
the dayside thermosphere, creating day-to-night hor-
izontal pressure gradients. In the optically thin upper
thermosphere, above 200 km, the solar heating distri-
bution is rather uniform over the dayside, whereas
below200 km the optical depth increases and the solar
heating varies with the solar zenith angle. In Fourier-
analyzing the horizontal heating rate distribution, the
amplitude of wavenumbers 1 and 2 are comparable
and are generally in phase in the lower thermosphere,
but in the upper thermosphere wavenumber 1 dom-
inates over wavenumber 2 and they are out of phase.
Thus, the upper thermosphere has a diurnal temper-
ature, density, and wind response, whereas the lower
thermosphere has a semidiurnal response as shown in
Figure 5.

Solar EUV radiation also ionizes the constituents of
the thermosphere and produces the ionosphere. Fast
photochemical equilibrium exists in the lower iono-
sphere and produces an electron density distribution
that varies with the solar zenith angle. In the upper
ionosphere, near 300 km, the ionospheric chemical
time constants are much longer and photochemical
equilibrium gives away to complex transport process-
es that are driven in part by the neutral winds of the
thermosphere and electric fields that are generated in
the dynamo region of the thermosphere. At low- to
midlatitudes in the upper thermosphere, thewind flow
is, to a first approximation, governed by a balance
between the pressure force generated by solar heating
and the ion drag and viscous force.

TheCoriolis force ismuch smaller and thus thewind
flow is from the high-temperature, high-density region
on the dayside to the low-temperature, low-density
region of night. The diurnal countergradient flow is

characteristic of the thermosphere above about
200 km. The magnitude of the wind speed is less on
the dayside (	50–100m s� 1) because of increased
electron density, and hence ion drag, than at night
(	100–300m s� 1), where a significant decrease in
electron density occurs because of recombination,
significantly reducing the ion drag. Thus, the wind
velocities in the dayside thermosphere are small, as
shown in Figure 5, whereas they increase substantially
at night.

Below 150 km, the ion drag force becomes compa-
rable to the Coriolis force and the semidiurnal
component of thermospheric heating drives a complex
semidiurnal oscillation. Below about 100 km, the ion
drag force and viscous and compositional forces
become small and themore familiar lower-atmosphere
dynamic equations govern the dynamics of the lower
atmosphere.

Auroral Influences

The basic thermospheric circulation driven by solar
heating, shown in Figure 5, is for geomagnetic quiet
times when the auroral inputs into the high-latitude
thermosphere are small. However, the aurora is
seldom quiet for long periods and in general the
interaction of the solar wind with the magnetosphere
is highly variable. The aurora particle inputs into the
high-latitude thermosphere are aurora electron and
proton precipitation, primarily in the auroral oval that
surrounds the Earth’s magnetic polar cap at about 60–
701 geomagnetic latitude in both the Northern and
Southern Hemispheres. In addition, the electric fields
caused by the interaction of the solar wind with the
magnetic field drive a two-cell ion drift circulation
pattern that is Sun-aligned and rotates with the
geomagnetic pole around the geographic pole, as
shown in Figure 6 for moderate levels of geomagnetic
activity. The iondrift imparts amomentum source that
causes the neutral gas to follow, but generally lag, the
ion drift motion, as also shown in Figure 6. The Joule
heating causes the temperature to increase in the polar
cap. This interaction was studied intensively by the
NASA Dynamics Explorer satellite mission. The
variability associated with the auroral interaction
produces large-scale changes in the mean solar ra-
diative-driven circulation, launches large-scale waves
that propagate globally, generates major changes in
neutral composition, alters the ionospheric dynamic
and electrodynamic structure, and produces chemical
species such as nitric oxide that alter the radiative
balance of the thermosphere. The thermosphere is,
thus, in a constant state of agitation, depending upon
the magnitude of the auroral inputs, which vary on
daily, hourly, and sometimes even faster time scales.
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Coupling with the Lower Atmosphere

In addition to the solar and auroral forcing, the
thermosphere is also affected by dynamics propagat-
ing up from the lower atmosphere. Themain influence
from below is from upward-propagating tides that
grow considerably in amplitude as they propagate
to high-altitudes. The diurnal tide is observed to
propagate up to about 110 km in the low-latitude
thermosphere before being dissipated by molecular
viscosity, thermal conductivity, and ion drag. The
semidiurnal tide with its much longer vertical wave-
length can propagate to much high altitudes, reaching
about 300 km. Other tidal components are either
generated in situ or propagate up from the lower
atmosphere, such as nonmigrating tidal components.
Planetary waves have also been observed in the lower

thermosphere, especially in the winter high-latitude
region.

Gravity waves generated in the lower atmosphere
can propagate up to thermospheric heights and
deposit their momentum in the upper mesosphere
and lower thermosphere. These waves are filtered by
the underlying mean winds and interact with tides,
planetary waves, and other waves generated by upper-
atmosphere processes such as the aurora. Gravity
waves are also damped by thermospheric dissipative
processes.

These disturbances or waves from the lower atmos-
phere greatly influence the lower thermosphere be-
tween 90 and 200 km. Above 200 km their influence
becomes much smaller because the dynamics are
controlled by the strong EUV forcing that can have
heating rates of 500–1000Kday� 1. Thus, the upper
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thermosphere has a strong diurnal variation, whereas
the lower thermosphere below 200 km experiences
semi-diurnal variation strongly perturbed by process-
es propagating upward from the lower atmosphere.

See also

AtmosphericTides.DynamicMeteorology:Overview;
Primitive Equations. Ionosphere. Magnetosphere.
Middle Atmosphere: Gravity Waves; Planetary Waves.
Polar Thermosphere. Solar Winds. Ultraviolet Radi-
ation.
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Introduction

Tornadoes (from the Spanishwords for turning and/or
thunder) are rapidly rotating columns of air in contact
with the ground; they are either connected to or are
situated underneath a cumuliform cloud above. They
are sometimes visualized as a funnel cloud. The funnel
cloud can assume many shapes – from wide cylinders
to narrow, ropelike, contorted tubes. It may appear as
dark when silhouetted against a bright, backlit back-
ground, or as a white mass when illuminated from the
front. High winds in a tornado can occur beyond the
edge of the visible condensation funnel. Sometimes the
funnel is not visible because it is hidden from view by
precipitation. When the relative humidity is so low
that a funnel cloud is absent, a rotating debris cloud is
usually the only visual evidence that there indeed is a
tornado. Waterspouts are tornadoes over water; in
them, a spray ring takes the place of the debris cloud.
Dust devils and steam devils are similar to tornadoes,
but are not associated with a cumuliform cloud above
and are usually smaller and weaker than most
tornadoes.

Horizontal wind speeds in tornadoes vary from 18
to around 120m s� 1. The upper range is not known
very well, owing to the great difficulty in making wind
measurements near the ground. Wind speeds in

tornadoes are often estimated from the damage they
inflict according to the Fujita (F) scale, which ranges
from F0 (18–32m s� 1) to F5 (117–142m s� 1). The
strongest tornadoes are able to remove some houses
completely from their foundation. The frequency of
occurrence of tornadoes decreases rapidly with in-
creasing tornado intensity. Unfortunately, the F-scale
is not calibrated; furthermore, it cannot be used when
structures of known structural integrity are not
present, such as over an open field. There have been
recent efforts to modify the F-scale to take into
account the height of the wind measurement above
the ground, the duration of the wind gust, and the
nature of the structure damaged. Althoughwind speed
estimates by Doppler radars in some tornadoes have
been as high as 120–140m s�1, it is not clear whether
the measurements are representative of what was
actually felt by structures near the ground.The vertical
wind speeds in tornadoes may be almost as intense as
the horizontal wind speeds. Damage from the wind in
tornadoes can be devastating, especiallywhen a strong
tornado passes over a densely populated area.

Tornadoes (Figure 1) vary from 100m to 3 km in
width and can last from just a few seconds to, in rare
instances, an hour or more; many have a lifetime of
tens of minutes. They range in depth from only
hundreds of meters to 10 km, which is most of the
depth of their parent storm. Although most tornadoes
rotate cyclonically, a few rotate anticyclonically;many
of them coexist with nearby cyclonically rotating
tornadoes.
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Tornadoes have been observed all over the world,
but they occurmost frequently in the centralUS,where
the conditions for the formation of their parent storms
are most common. Most tornadoes occur during the
late spring, in the late afternoon and early evening.
However, tornadoes canoccur during all seasons, at all
times of the day. Most tornadoes are associated with
thunderstorms, which are often isolated, but are
sometimes arranged in lines. Tornadoes are found
not only over the plains but also, on occasion, over
mountainous areas. Landfalling tropical cyclones
sometimes spawn tornadoes within bands of convec-
tive storms, especially just to the right of the track of
the center of the cyclones.

Many long-lived tornadoes appear to have similar
life cycles. Such tornadoes first appear as a rotating
column of dust on the ground. A funnel cloud then
appears to build downward from the cloud base.
When the funnel cloud is nearly vertically oriented,
widest, and in contact with the ground, the tornado is
most intense. Later in its life the tornado condensation
funnel narrows and becomesmore tilted; however, it is
not necessarily much less intense at this stage. Finally,
the funnel disappears as a gust front from the parent
storm or a neighboring storm upends the tornado and
surrounds it with evaporatively cooled air.

Types of Tornadoes

There are two main types of tornadoes: those associ-
ated with a larger-scale parent vortex called a meso-
cyclone, and those not associated with a mesocyclone.
The former are typically of greater intensity and, in the
US, account for the bulk of the damage reported. They
occur in convective storms called ‘supercells’ (see
Convective Storms: Convective Initiation; Overview).
Supercells are relatively long-lived convective storms,

whose longevity is associated with ‘mesocyclones’,
cyclonically rotating, mostly ascending columns of air
several kilometers wide, which force the supercell to
propagate slightly to the right of the mean tropo-
spheric wind. Supercells are most likely to form when
the vertical wind shear exceeds 20m s� 1 in the lowest
6 km of the troposphere and when the potential
buoyancy (as measured by the convective available
potential energy) exceeds 1500 J kg�1, the latter of
which drives updrafts on the order of tens ofmeters per
second; it is not uncommon for updrafts as strong as
30–50m s� 1 to be found inmesocyclones. The former
condition tends to occur when there is a relatively
strong current of air at mid- and high levels of the
troposphere. Thus, supercell formation is frequently
associated with the jet stream. The latter condition
tends to occur when the air is relatively warm and
moist at low levels, and relatively cold at high levels;
i.e., when the lapse rate is relatively steep and
ascending, saturated air parcels become, through a
substantial depth of the troposphere, as much as
3–10K or so warmer than the air outside the storm.

Tornadoes in supercells often form underneath or
near the edge of a ‘wall cloud’, a lowered cloud base
found beneath the main updraft region of a supercell
and adjacent to a precipitation region (in the ‘forward-
flank downdraft’) (see Figure 3 in Convective Storms:
Convective Initiation; Overview), from which rela-
tively humid evaporatively cooled air is drawn into the
updraft.Observations of rotatingwall clouds by storm
spotters are often used as a basis forwarning the public
of possible tornado formation. Descending air to the
rear of the storm forms the ‘rear-flank downdraft’ as it
wraps around the wall cloud and collocated mesocy-
clone circulation. Precipitation wrapping around the
mesocyclone near the ground forms a hook echo as
detected by radar (Figure 2). Often a tornado forms
when the rear-flank downdraft appears, as evidenced
by a ‘clear slot’ in the clouds adjacent to and to the rear
of the wall cloud. Relatively few supercells, however,
actually spawn tornadoes and it is not yet known why
a few supercells produce tornadoes,whilemost donot.

Tornadoes not associated with mesocyclones (non-
supercell tornadoes) usually occur when a convective
cloud is growing into a convective storm, but usually
before it reaches its mature stage, before precipitation
reaches the ground or after it has, but before it has
become extensive (Figure 3). Unlike mesocyclone
tornadoes, which occur when vertical wind shear is
relatively strong, non-mesocyclone tornadoes tend to
occur when the vertical wind shear is relatively weak.
They begin near the ground and build upward,
sometimes reaching the cloud base. Since they begin
near the ground,well underneath the cloud basewhere
the relative humidity is low, they often do not have

Figure 1 Photograph of an F3 tornado in a supercell in central

Oklahoma on 3 May 1999 during an outbreak. (r H Bluestein

(1999)).
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condensation funnels, or if they do they extend only
partway downward from the cloud base. Because they
often look like the weak waterspouts that occur along
nonprecipitating cloud lines, they are sometimes
referred to as ‘landspouts’.

Whether or not a tornado is associated with a
mesocyclone or not, the tornado or a developing
tornado can be detected by a relatively nearbyDoppler
radar as a ‘tornadic vortex signature’. In supercells,
tornadic vortex signatures sometimes appear 2–4 km
above the ground, and then build both upwards and
downwards. In these storms, Doppler radar can be
used to warn in advance of a tornado forming by as
much as 20–30min. However, in many instances, the
tornadic vortex signature forms on 5–10min time
scales near the ground, or simultaneously in a column
near the ground.

Sometimes tornadoes form in bow echoes (see Bow
Echos and Derecho) along the cyclonic side of strong

outflow winds. Others appear in association with
the cyclonic ‘bookend vortex’ in a bow echo (see
Mesoscale Meteorology: Cloud and Precipitation
Bands; Mesoscale Convective Systems; Models).

Theories of Tornado Formation

Tornadoes associated withmesocyclones acquire their
vorticity from storm-generated vorticity. It is now
thought that electrical processes do not play a signif-
icant role in tornado formation, even though there is
evidence that the character (e.g., the sign of the
transfer of charge) of lightning flashes in a storm
sometimes changes as a tornado forms. The source of
vorticity in mesocyclones is horizontal vorticity in the
environment of the storm, which is associated with
vertical wind shear. Since it is an order ofmagnitude or
more greater than the vertical vorticity associatedwith

Figure2 Radardepictionof ahookecho in a tornadic supercell in centralOklahoma.Radar reflectivity factor (dBZ) is color coded.Radial

markers are in kilometers from a radar operated by the National Severe Storms Laboratory.
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the Earth’s rotation, the latter is not a source of
vorticity for tornadoes. Vertical wind shear in midlat-
itudes is associated with horizontal gradients in
temperature (see Dynamic Meteorology: Overview);
in the boundary layer, vertical wind shear is also
associated with turbulent friction. As a buoyant
bubble of air accelerates upward, it tilts the environ-
mental horizontal vorticity onto the vertical so that
there are side-by-side counterrotating vortices (see
Convective Storms: Convective Initiation; Overview).
These vortices are most intense at midlevels in the
storm, where the effects of tilting are the greatest.

Since the center of each vortex is associated with
relatively low pressure, there is an upward-directed
pressure-gradient force underneath each vortex,
which acts to make the original updraft split into
two parts: one by the anticylonically rotating vortex
and one by the cyclonically rotating vortex. When the
direction of vertical wind shear changes with height so
that the hodograph is curved in a clockwise (counter-
clockwise) manner, the vertical pressure-gradient
force field is configured so that the cyclonic (anti-
cyclonic) member of the vortex couplet is favored.
Since most hodographs tend to have some clockwise
curvature, the cyclonic vortex is usually more prom-
inent and continues to propagate to the right of the
tropospheric mean wind and wind shear vectors.
When the vorticity of the cyclone is stretched by the
buoyant updraft in the storm, it can increase in
intensity to become a mesocyclone. Mesocyclones
are detected byDoppler radars as a signature depicting
a region of rapid storm-relative receding motion
adjacent to a region of rapid storm-relative approach-
ing motion. The detection of a mesocyclone signature
by a Doppler radar has been used as the basis for
issuing a tornado warning to the public. However,
when a mesocyclone is detected in a storm whose
updraft roots are above the boundary layer, such
as storms that form poleward of warm fronts

and stationary fronts or over outflow boundaries,
tornadogenesis is unlikely.

How the mesoyclone appears and intensifies at the
ground is not as well understood because the updraft
tends to advect any vorticity generated near the
ground upward, away from the ground. For this
reason, it has been hypothesized that downdrafts also
play a role in tornadogenesis. Downdrafts can be
forced through water and ice loading, cooling as
raindrops evaporate or ice crystals sublimate into
unsaturated air, and downward-directed pressure-
gradient forces. The latter occur when a vortex
stronger than the mesocyclone aloft forms near the
ground. A low-level vortex can be generated when
low-level horizontal vorticity is tilted onto the vertical
and then stretched in the storm’s updraft. The sources
of low-level horizontal vorticity are the boundaries
between evaporatively cooled and ambient air (vorti-
city generated solenoidally), and vertical shear in the
boundary layer. Doppler radar observations show that
mesocyclones that form near the ground are often
located just on the updraft side of an interface between
a horseshoe-shaped updraft and a downdraft on the
rear side of the parent storm.

The region of low-level cyclonic vorticity that is
produced as horizontal vorticity is tilted by the updraft
tends to propagate rearward with respect to the
updraft, ending up near the interface between the
updraft and the rear-flank downdraft; a tornado is
then likely to appear. When the region of low-level
vorticity holds in place near the interface between the
updraft and rear-flank downdraft, a tornado can last
for a relatively long period of time. Sometimes the
process is periodic, leading to ‘cyclical tornadogene-
sis’, duringwhich a family of tornadoes is produced by
one parent storm.

Tornadoes not associated with mesocyclones ac-
quire their vorticity from vertical vorticity already
present along boundaries along which the parent

C B
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C

B

D
C

Figure 3 Schematic diagram of non-supercell tornado formation in a growing convective storm. (From Wakimoto and Wilson (1989);

reproduced with permission of the American Meteorological Society.) The thick line marks a convergence boundary near the ground.

Preexisting low-level vortices are labeledwith letters. In the left panel, clouds form over the convergence zone. In themiddle panel, strong

updrafts developbeneath thegrowingcumuluscongestus clouds. In the right panel, a strongupdraft becomessuperimposedononeof the

preexisting vortices and a tornado forms. The tornado dissipates when precipitation falls out of the updraft and the cell collapses.
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convective clouds form. Lines of vorticity due to
horizontal shear can roll up into localized maxima
through horizontal shearing instabilities. Localized
maxima in vertical vorticity could be also produced as
horizontal vorticity associated with boundary layer
rolls are tilted upward by growing convective clouds.
In some instances several or more non-mesocyclone
tornadoes canoccur simultaneously along a cloud line.
It is also possible for supercells, which have meso-
cyclones, to spawn tornadoes not associated with the
mesocyclones themselves; e.g., as vorticity along the
edge of the rear-flank downdraft is stretched by
updrafts in new convective towers growing above.

Structure of Tornadoes

What we know about tornado structure comes from
photogrammetric analysis of debris movies, laborato-
ry vortex-chamber experiments, numerical simula-
tions, and Doppler radar observations. Although each
technique for determining tornado structure has its
limitations, we do have a reasonable feel for what the
actual wind field in tornadoes looks like, even though
it is nearly impossible to obtain direct wind measure-
ments everywhere in a tornado.

The ‘core’ of the tornado extends from the center of
the vortex outward to the radius of maximum
tangential wind speed. Within the core, the tangential
wind speed increases linearly with distance from the

center as in solid-body rotation, owing to intense
turbulent mixing. Outside the core, the tangential
wind speed drops more rapidly than it increases inside
the core. Debris and/or precipitation that is caught in a
tornado core tends to be centrifuged outward, so that
the center appears to be hollow (Figure 4).

Near the ground, the tangential flow is slowed down
as a result of frictional drag. The outward-directed
centrifugal force is therefore reduced in comparison
with the inward-directed pressure-gradient force,
which does not change appreciably. As a result, air is
forced radially inward in the boundary layer and then
turns sharply upward in the ‘corner region’. The

Figure 4 Fine-scale radar depiction of the tornado shown in Figure 1. The radar reflectivity is color coded. An eye and spiral bands,

similar to thoseseen in hurricanes, areevident. The rangeof theeye to amobile radar operatedby theUniversity ofMassachusetts and the

University of Oklahoma is 2.5 km. Rangemarkings are shown at 500m intervals. (Radar image courtesy of A Pazmany and H Bluestein.)

Figure 5 Photograph of a multiple-vortex tornado in central

Oklahoma on 3 May 1999. (r H Bluestein.)
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rapidly ascending air lofts dust and debris. It is not
uncommon for light objects such as canceled checks
and papers to be lifted and carried far downstream
from tornadoes, sometimes 100 km or more. Torna-
does inwhich there is upwardmotion in the center and
compensating downward motion outside the core are
said to have a ‘one-cell’ structure.

The core of a tornado typically is stable with respect
to axisymmetric radial displacements because the
angular momentum increases radially outward. Iner-

tial (also known as centrifugal) waves can therefore
propagate vertically. In the corner region, if the
upward motion is faster than that of vertically
(upward) propagating inertial waves, then ‘vortex
breakdown’ may occur, a phenomenon analogous to
that of a hydraulic jump in nonrotating flow. Above
the region of vortex breakdown, the flow is more
turbulent and has weaker winds. There is a down-
ward-directed pressure-gradient force that creates a
downdraft in the middle of the vortex; the vortex also
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Figure 6 Variation in tornado structure as a function of swirl ratio. (From Davies-Jones et al. (2001); reprinted with permission of the

AmericanMeteorological Society.) (A)Veryweak swirl ratio; (B) low swirl ratio; (C)moderate swirl ratio – laminar upward flowing jet breaks

down into a turbulent two-celled vortex aloft; (D) slightly higher swirl ratio than in (C) – vortex breakdown occurs close to the ground;

(E) high swirl ratio – turbulent two-cell tornado: the central downdraft makes contact with the ground and the radius of the tornado

increases; (F) very high swirl ratio – the tornado breaks up into multiple, satellite vortices.
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becomes wider. Tornadoes in which there is a down-
draft surrounded by an updraft are said to exhibit
a ‘two-cell’ structure. Strong radial shears in the
tangential wind in two-celled tornadoes may be
unstable and break up into smaller satellite vortices,
sometimes called ‘suction spots’ or ‘multiple vortices’.
The satellite vortices (Figure 5) are responsible for
small-scale variations in tornado damage. The wind
speeds in satellite vortices are thought to be very high
and might be responsible for spotty devastating
damage. Satellite vortices sometimes produce cycloi-
dal damage swaths as they rotate around the axis of its
larger-scale vortex.

The nature of a tornado’s structure (Figure 6)
depends upon the ratio of the amount of circulation
about the vortex (tangential wind speed times the
distance from the center of the vortex) to the amount
of air converging into the vortex and flowing upward
into the updraft; this ratio is called the ‘swirl ratio’. At
low swirl ratios, the tornado has a one-cell structure.
At higher swirl ratios, there is a vertical jet of air
coming upward from the boundary layer, which then
makes transition to a region of vortex breakdown;
above the level of vortexbreakdown, the tornado has a
turbulent, two-cell structure. At some even higher
swirl ratio, the level of vortex breakdown is lowered to
the ground and sinking air at the center reaches the
ground and the tornado widens. When the swirl ratio
is high, the tornado exhibits multiple-vortex, two-cell
structure.

The maximum theoretical wind speeds possible
in tornadoes have been estimated based on various
assumptions. If the atmosphere is hydrostatic, then
the maximum pressure drop at the center, which
can be related to the maximum wind speed if the
flow is cyclostrophic and if a specified wind profile
is specified, is a function of the amount of buoyant
energy in the updraft. Pressure drops at the ground
as high as 60 hPa have been measured at a distance
of 600–700m from the center in a large tornado
by a portable instrument package. Pressure drops
as high as 100 hPa or greater could be found near
the center of some tornadoes. The amount of
buoyant energy in the updraft may be enhanced if
air subsides in the center of the tornado, so that
the difference between the temperature of the air
in the tornado and the air in the environment is
even greater. Still higher pressure deficits and wind
speeds are possible by considering the effects
of the dynamic part of the pressure field, especially in
the corner region of the tornado vortex, where
accelerations are very high. The level at which the
wind speeds are greatest is not at the ground, but
at some distance aloft, perhaps tens of meters above
the ground.

Owing to the high wind speeds in tornadoes, it is
important that any one in the path of a tornado take
precautions to reduce the risk of injury and possibly
save one’s life. The safest place to be is underground or
in a specially constructed shelter (‘safe room’). If one
cannot get to a place of safety, one should go to an
inner, enclosed room such as a bathroom or closet and
protect one’s head from flying debris.

Our current state of knowledge about tornadoes is
inadequate to take any measures to attempt to modify
them or their parent storms. Some have suggested that
explosive devices could be used to destroy tornadoes.
However, it is likely that the explosives would do as
much or greater damage than a tornado itself would
have done. Others have suggested that the likelihood
of tornado formation could be lessened if a parent
storm were modified by seeding it. Again, seeding a
storm might have the unwanted effect of producing a
flash flood or a large hail.

See also

Boundary Layers: Surface Layer. Convective Storms:
Convective Initiation. Hail and Hailstorms. Instability:
Inertial Instability. Radar: Doppler Radar. Severe
Storms. Waterspouts.
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Introduction

The topic of ‘tracers’ is vast,with a rich history that has
contributed much to our understanding of the chem-
istry and dynamics of the atmosphere. A tracer, in the
context of atmospheric science, generally refers to a
measurable atmospheric species or a parameter that
allows one to deduceor infer atmosphericmotions and
transport, atmospheric chemical reaction pathways,
or the magnitude of biogeochemical processes and
their influence on the composition of the atmosphere
and, hence, on climate. A number of specific tracers
are already covered in detail in individual articles in
the encyclopedia. The goal of the discussion here is to
provide a general overview of the nature and use of
measurements of chemical tracers (i.e., chemical
species, as opposed to meteorological parameters
such as winds, potential temperature, or potential
vorticity) to infer the atmospheric circulation and
transport of chemical species within and between the
stratosphere and troposphere. In many cases, once the
influence of transport on chemical species is accounted
for, the associated chemical and biogeochemical
processes can then be studied.

An Historic Example: The Brewer–
Dobson Circulation

A particularly noteworthy and illustrative application
of chemical tracers to our fundamental understanding
of the circulation of the atmosphere is that of meas-
urements and analysis of the total column ozone by
Dobson in the 1920s and 1930s and of stratospheric
water vapor and helium by Brewer in the 1940s.
Dobson observed that the total amount of ozone
measured in the atmospheric column above his
ground-based spectrophotometers showed maxima
at high latitudes and minima at low latitudes. This

dependence on latitude was exactly the opposite of
what was expected on the basis of atmospheric
chemistry alone, since ozone production is greatest
in the upper tropical stratosphere where solar irradi-
ance ismost intense. From these observations, Dobson
deduced that there must be a global-scale circulation
of air from the tropics to high latitudes resulting in the
meridional transport of ozone from the tropics to the
poles. From the tracers helium and water vapor,
Brewer added important vertical information to this
picture. The fact that the helium mixing ratio did not
change with altitude meant that turbulent transport
actedon the stratosphere toprevent gravitationalmass
fractionation. His observations of very low water
vapormixing ratios in the stratosphere (while studying
the formation of condensation trails from aircraft
exhaust for defense purposes during World War II)
were consistent only with upward transport of air into
the stratosphere in the tropics (where the tropopause is
high and therefore cold enough to ‘freeze dry’ air as it
passed into the stratosphere) and a downward trans-
port at midlatitudes (where the tropopause is lower
and warmer; downwelling would prevent the upward
diffusion of wet tropospheric air across the warm
extratropical tropopause, which could not freeze dry
the air to the observed low stratospheric water vapor
levels). This overall picture, derived from chemical
tracers, of upwelling in the tropics, meridional trans-
port from the tropics to the poles, and downwelling in
the extratropics is known as the Brewer–Dobson
circulation. It remains qualitatively correct today.
Scientific progress continues through iteration be-
tween tracer measurements, dynamical analyses, and
chemical–radiative-transport computer models to
quantify these rates and tounderstand themechanisms
driving them. Some of these ‘newer’ efforts using
chemical tracers are outlined in the following sections.

Tracers in the Stratosphere

The magnitudes of the mean vertical and meridional
winds in the stratosphere are quite small – both in
an absolute sense (e.g., o0.5� 10� 3m s�1 in the
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vertical) and in relation to themuch faster zonal winds
(i.e., around a latitude circle). Thus, they are difficult
to measure directly, and tracers must be used to infer
these rates and the transport of air that results. These
same wind characteristics also make artificial tracer
release studies very difficult, as the released material
would simply be rapidly redistributed and diluted
zonally, yielding little information on vertical and
meridional transport, particularly on the time scales of
a conceivable tracer release experiment. Thus, we rely
on various serendipitous natural or anthropogenic
tracers and their time-varying and/or spatially varying
characteristics in the troposphere or stratosphere to
deduce mean vertical and meridional winds, to
understand the efficiency of transport of stratospheric
species within and between different regions, such as

between the midlatitudes and the polar vortex, for
example, and to decouple the effects of transport from
the effects of local photochemistry on ozone, for
example, once transport has been inferred.

The Morphology and Correlations of Tracer Mixing
Ratios in the Stratosphere: CH4, N2O, and CO2

Methane (CH4) and nitrous oxide (N2O) are produced
primarily through biological processes in the tropo-
sphere and are destroyed by photolysis and photo-
chemistry in the stratosphere on time scales frommany
years to months, depending on altitude. Observations
from satellites have provided a global-scale picture of
the distribution of their mixing ratios throughout the
stratosphere (Figure 1). The morphologies of their
mixing ratio contours share a common shape. The
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Figure 1 Stratospheric mixing ratios of (A) CH4 and (B) N2O versus latitude and pressure–altitude measured on 25 September 1992

from the CLAES instrument aboard the Upper Atmosphere Research Satellite. (Adapted with permission from Roche AE, et al. (1996)

Validation of CH4 andN2Omeasurements from theCLAES instrument onUARS. Journal of Geophysical Research 101(D6): 9679–9710.

Copyright 1996 American Geophysical Union.)
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common shape can be understood qualitatively in
terms of the Brewer–Dobson circulation combined
with rapid quasi-horizontal transport and mixing of
air induced by the breakingof planetary-scalewaves at
midlatitudes, as illustrated in Figure 2. Upwelling of
air that recently entered the stratosphere from the
troposphere in the tropics (with correspondingly high
values of CH4 andN2O) couples with downwelling of
older, photochemically processed air from the upper
stratosphere (with low levels of CH4 and N2O) at
middle and high latitudes to form a ‘bulge’ of high
mixing ratio contours (also known as ‘isopleths’) in
the tropics. Rapid quasi-horizontal transport and
mixing of air between the tropics and extratropics
along isentropic surfaces serves to flatten this bulge.
Thus, the slope of the isopleths at midlatitudes is
controlled by the relative rates of vertical advection
(which steepens the isopleths) and quasi-horizontal
diffusion (which flattens the isopleths). Relatively
rapid changes in slope with latitude separate regions
where the dominant transport mechanisms are differ-
ent, such as between the tropics and the midlatitudes
(where the so-called ‘subtropical boundary’ indicates
a transition between upwelling in the tropics and rapid
quasi-horizontal transport in the so-calledmidlatitude
‘surf zone’) and between themidlatitude surf zone and
the polar vortices (where transport across the wind
maximumat the vortex edge is limited). Consequently,
the magnitudes of the isopleth slopes and their
dependence on latitude and how these properties
change with season, latitude, and altitude provide
important information on transport and details of
the underlying dynamics, as well as diagnostics for
models.

In addition, theory dictates that any chemical
tracers that are long-lived with respect to both vertical
andhorizontal transport in a regionof the stratosphere
will share a commonmorphology in that region. Thus,
a plot of simultaneousmeasurements of one long-lived
tracer versus another will yield what is known as a
‘compact’ or tight relationship for which one tracer
mixing ratio is well predicted if the other is known.
The species are said to be in slope equilibrium. If
horizontal transport is fast and effective globally, then
the long-lived tracer isopleths and the tracer–tracer
relationships are globally uniform (Figure 2). If
horizontal transport from the midlatitudes into the
tropics is restricted, the isopleths and the resulting
tracer–tracer correlations are different in these differ-
ent regions (Figure 3). Simultaneous observations of
tracer–tracer correlations measured from satellite,
balloon, and aircraft instruments in the 1990s (in-
cluding CH4, N2O, CFCs, O3, NOx, and CO2

measurements) revealed that the real atmosphere lies
somewhere between the two conceptual extremes in

Figures 2 and 3. Observed tracer correlations are
indeed compact but different in the tropics and
extratropics, demonstrating that horizontal transport
from midlatitudes into and across the tropics is not
rapid enough to result in globally uniform correla-
tions. However, analyses of the correlations indicate
that a significant amount of older air from midlati-
tudes does mix back into the tropical upwelling region
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Figure2 Schematic representations of (A) stratospheric transport

for which quasi-horizontal transport (diffusion) is globally effective,

(B) the resulting tracer isopleths (surfaces of constant mixing ratio),

and (C) the resulting tracer–tracer correlation for tracers that are

long-livedwith respect to both vertical andhorizontal transport rates.
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at altitudes between the tropopause and about 21 km.
Besides being of fundamental interest, knowledge of
the degree to which midlatitude air ‘recirculates’ into
the tropics is critical for predicting pollutant build-up
in the stratosphere and its redistribution, such as
exhaust from a future fleet of commercial supersonic
aircraft that would fly at about 20 km mostly in the
midlatitudes.

Plotting one long-lived tracer against another also
serves another important function: it removes the
variability in stratospheric tracer measurements asso-
ciated with large-scale reversible air displacements
and, to some extent, with irreversible mixing. The
spatial variability these processes induce on tracer
mixing ratios can make it difficult to interpret tracer
measurements along an aircraft flight track, for
example, and to compare them with numerical model
predictions. Simultaneous measurements of CO2 and
N2O from the NASA ER-2 aircraft illustrate both this
simplification and the determination of relative trans-
port rates discussed above. CO2 is a conserved tracer
in the stratosphere; its mixing ratio in air entering the
tropical stratosphere exhibits both a long-term in-
crease due to anthropogenic activities and an annual
cycle due to the seasonal uptake and release of carbon
by the terrestrial biosphere (Figure 4). These variations
forced from the troposphere propagate into the
stratosphere. In the tropics, the vertical propagation
of the maxima and minima of the CO2 seasonal cycle
from the tropopause is easily discernible when the
observed CO2mixing ratio is plotted against potential

CH4

N2O

N2O

C
H

4

Extratropics

Tropics

(A)

(B)

(C)

Figure 3 Schematic representations of (A) stratospheric trans-
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temperature (Figure 5A). As discussed further below,
the preservation of the seasonal cycle in the tropics
indicates that vertical advection dominates both
vertical diffusion and the mixing in of older air from
the extratropics in this region of the stratosphere. At
midlatitudes, however, a plot of CO2 mixing ratio
against potential temperature is highly scattered
(Figure 5B). Plotting CO2 versus another long-lived
tracer, such as N2O, gives a striking compact relation-
ship (Figure 5C). From this compact relationship, we
can infer that quasi-horizontal transport in the extra-
tropics is rapid compared to the chemical lifetime of
N2O and to the rate of seasonal changes in the CO2

mixing ratio at the tropical tropopause. Moreover,
because the CO2:N2O tracer correlation in the tropics
is distinguishable from that in the extratropics
(Figure 5C), quasi-horizontal transport across the
tropics is not efficient enough to result in a globally
uniform CO2:N2O relationship. The observed atten-
uation of the CO2 seasonal cycle in the tropics,
however, does indicate that a significant amount of
extratropical air has been mixed into the tropical
upwelling region, with 30–50% of the air at 19 km of
midlatitude origin.

Temporally Increasing Inert Tracers: CO2 and SF6

Species that are increasing over time in the troposphere
due to anthropogenic activities but that are inert in the
stratosphere have beenused to infer themean ageof air
at various locations and times in the stratosphere. The
mean age is the average time since the air for which
CO2 or SF6 is measured was in contact with the
troposphere. A boundary condition for CO2 or SF6
mixing ratios at the tropical tropopause, where air
predominantly enters the stratosphere, is needed to
derive accurate mean ages (e.g., Figure 4). The mean
age of an air parcel can be approximated from the time
delay between the mixing ratio observed (or inferred)
at the tropopause and themixing ratiomeasured in the
air parcel. From a series of measurements during the
1990s from aircraft and balloon instruments, precise
and accurate mean ages have been derived for air over
awide range of latitudes and altitudes (70.3 years and
70.5 years, respectively, for ages derived from CO2

measurements once the seasonal cycle has damped out
at a mean age ofB2 years). These mean ages are also
consistent with those derived from balloon observa-
tions of CO2 dating back to the 1970s now that a
robust boundary condition for CO2 entering the
stratosphere, based on the extensive NASA ER-2
CO2 observations, can be parameterized from surface
CO2 measurements for those years (e.g., Figure 4). As
expected from the Brewer–Dobson circulation, the
youngest air is observed just above the tropical
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tropopause, with age increasing with altitude and
latitude to amaximumof about 6 years. Knowledge of
the mean ages helps define relative vertical and
horizontal transport rates in different regions of the
atmosphere and the turnover time for the stratosphere
with respect to exchange of air with the troposphere.
Mean ages from inert tracers are also serving as
quantitative tests of transport, independent of photo-
chemistry, for two- and three-dimensional models of
the stratosphere. As of 1998 when the mean ages
inferred from CO2 and SF6 observations were well-
established, most two- and three-dimensional models
were underestimating mean ages by 20–100%.

Seasonally Varying Tracers: H2O, CO2

Species that enter the stratosphere with a pronounced
annual cycle in their mixing ratios have been used to
infer vertical ascent rates in the tropics, vertical
diffusion in the tropics, and the rates at which air is
transported quasi-horizontally between the tropics
andmidlatitudes.Observations ofCO2were discussed
in the preceding section. Water vapor mixing ratios
entering the stratosphere also exhibit an annual cycle,
which is in phase with the annual cycle in tropopause
temperatures. Exactly what dynamical and/or micro-
physical processes control the saturationmixing ratios
in the tropopause region, however, is still hotly
debated; apparently, Brewer’s simple freeze-drying
mechanism at the tropopause is not sufficient. From
observations of the vertical propagation of the sea-
sonal cycles of CO2 and water vapor from the
tropopause (e.g., Figure 5A), vertical ascent rates can
be derived. The observed attenuations of the seasonal
amplitudes with altitude effectively give the rate of
horizontal transport of older air from midlatitudes
(since vertical diffusion is known to be small from
other observations), as noted above for CO2. Obser-
vations of seasonal variations at midlatitudes yield
information on quasi-horizontal transport rates out of
the tropics. Continuous monitoring of stratospheric
water vapor from the tropopause to the stratopause
has been achieved through satellitemeasurements that
have a vertical resolution of 1–3 km. The satellite
observations show the propagation of the water vapor
seasonal cycle to about 28 km before it is damped out.
The in situ aircraft CO2 observations are not contin-
uous in time but have high vertical resolution ð	 10mÞ
in the near-tropopause region between 16 and 20km
where air is entering the stratosphere and themixing in
ofmidlatitude air is themost rapid. Thus, the CO2 and
H2O measurements are highly complementary. Inter-
estingly, these two tracers both yield relatively precise
seasonally resolved vertical ascent rates that are nearly
identical to those derived from calculations of the

meridional circulation estimated from heating rates
computed with radiative transfer models using satel-
lite and/or climatological data for species active in the
infrared. The calculations of radiative heating in the
lower tropical stratosphere have large uncertainties
because the net heating rates are small, being the
difference between two large numbers.

Anthropogenic ‘Pulsed’ Tracers: Bomb Debris from
Atmospheric Nuclear Testing

It was noted above that the release of artificial tracers
to study stratospheric transport is not readily feasible,
in part owing to the prohibitive magnitude of material
that would have to be released. However, the massive
amount of material injected into or produced in the
stratosphere by atmospheric nuclear testing in the late
1950s and early 1960s served as a ‘pulsed’ input of
radioactive tracers into the stratosphere. Transport
within and out of the stratosphere can be followed
from observations of tritiated water vapor (HTO),
14CO2, and fission products, such as 90Sr, that were
made from aircraft and balloons from that time until
as recently as 1983 for HTO. In particular, observa-
tions over a number of years of gaseous 14CO2 and of
90Sr and other fission products scavenged by aerosol
were used to study transport within the stratosphere.
For several decades, the 14CO2 data were considered
unreliable and too sparse to be useful, at least in part
because virtually all atmospheric models of the time
dispersed and removed the 14CO2 faster than was
consistent with the observations. However, with the
problems that contemporary models have had in
calculating mean ages of air that are too young
compared with those derived from CO2 and SF6,
coupled with recent observations of the slow dispersal
of sulfuric acid aerosol from the Mt. Pinatubo erup-
tion out of the tropics at altitudes greater than 22 km
(see below), the data are now considered less suspect
and are undergoing a renaissance of re-examination
and comparisons with model predictions. In particu-
lar, the pulsed nature of this tracer is complementary to
the continuous input of long-lived tracers with trop-
ospheric sources, such as CO2, N2O, CH4, and SF6
noted above. A recent reanalysis of HTO measure-
ments shows an interesting decay that is longer than
the oldest mean ages or residence times for strato-
spheric air,which has been interpreted as the eigentime
of the longest-lived mode of the stratospheric trans-
port equations. Thus, even older data that were
once thought to be suspect or too sparse to be
compared with model results are being reanalyzed
and reinterpreted using new insights as our under-
standing of stratospheric dynamics and tracer trans-
port evolves.
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A Natural ‘Pulsed’ Tracer: Sulfur from the
Mt. Pinatubo Eruption

In June 1991,Mt. Pinatubo in the Philippines erupted,
injecting tons of SO2 into the tropical stratosphere.
The SO2 was rapidly oxidized to H2SO4 and resulted
in sulfate aerosol concentrations 30 times higher than
the nonvolcanic background levels. Because this
material entered the tropics, its transport via the
stratospheric circulation could be followed by satel-
lite, balloon, aircraft, and ground-based aerosol
measurements. Observations showed the rate of
transport quasi-horizontally out to midlatitudes as a
function of altitude. Transport out of the ‘tropical
reservoir’ (so-called because the tropics acted to
‘contain’ the aerosol for a significant amount of
time) to midlatitudes was rapid below altitudes of
22 km but very slow between 22 and 28 km, suggest-
ing, as did the satellite water vapor data mentioned
above, a relatively isolated region at B22–28 km
where transport was solely by vertical advection with
little or no input of air from midlatitudes and only
episodic and occasional transport from the tropical
region out to midlatitudes.

Other Tracers in the Stratosphere: Cosmogenic
Radionuclides and Stable Isotopes

Although a number of pioneering observations of
cosmogenic radionuclides and stable isotope compo-
sitions of long-lived tracers were made, in both cases
relatively new mass spectrometric techniques have
been developed that make their measurement in the
stratosphere bothmore practical andmore compelling
for the study of stratospheric transport processes in the
future. They include continuous-flow isotope ratio
mass spectrometry for stable isotopic analyses, which
requires orders ofmagnitude smaller whole air sample
sizes, and accelerator mass spectrometry, which al-
lows precise 10Be measurements to be made in
conjunction with 7Be to obtain the 10Be/7Be ratio, a
more robust tracer than 7Be alone.

Cosmogenic radionuclides 10Be and 7Be are pro-
duced in the lower stratosphere andupper troposphere
by cosmic ray-induced spallation reactions involving
nitrogen and oxygen (e.g., 16O(n,4p3n)10Be). Peak
production rates occur at approximately 16–20 km at
midlatitudes.Once formed, the 10Be and 7Be atoms are
scavenged by aerosol particles and decay with half-
lives of 1.6� 106 years and53days, respectively. In the
stratosphere, where submicrometer aerosol residence
times are quite long, the ratio of 10Be/7Be will increase
over time as the 7Be decays rapidly relative to 10Be. In
the troposphere, however, aerosol residence times are
short (on the order of 20–40days), preventing the ratio

of 10Be/7Be from increasing substantially above the
production ratio. Thus, owing to this difference in
aerosol residence times, the 10Be/7Be ratio can increase
significantly above the production ratio only in the
stratosphere, and the ratio represents an ‘age’since the
air mass was last cleansed of its beryllium atoms. In
general, then, the distribution of 10Be and 7Be
production in the atmosphere and the ‘clock’ provided
by the difference in their half-lives make observations
of the ratio useful for the study of bothmeridional and
diffusive transport processes in the stratosphere and
stratosphere–troposphere exchange on time scales of
several months to several years. To date, however,
there are fewer than 50 published observations of
stratospheric 10Be/7Be ratios.

Stable Isotopes Rates of chemical reactions often
depend on whether the molecule possesses a heavy or
light isotope; the difference in rates, for example,
between the reactions 13CH41Cl and 12CH41Cl is
called an isotope effect and is large at stratospheric
temperatures (rate(12CH4)/rate(

13CH4)5 1.075 at
223K). Thus, as CH4 is oxidized in the stratosphere,
the remaining CH4 becomes progressively enriched
in 13C. While the carbon isotopic composition
of CH4 is in some respects just another long-lived
tracer, its correlation with CH4 mixing ratios
depends sensitively on transport while its sensitivity
to, for example, modeled photochemistry should be
the same for 13CH4 as for 12CH4 in a given model.
Therefore, stable isotope compositions forCH4,N2O,
and CO2 and other species may provide additional
constraints on stratospheric photochemistry and
transport in different regions of the stratosphere now
that global-scale measurements are becoming more
feasible.

Tracers of Stratosphere–Troposphere
Exchange

Understanding the rates, patterns, and underlying
dynamics of mass exchange between the troposphere
and stratosphere has significant implications for
chemistry in both regions and for predicting how
these characteristics may change as climate changes.
Tracers used to investigate troposphere-to-strato-
sphere transport have included CO2 and water vapor
mixing ratios, short-lived chemical species in the
troposphere such asCHBr3, and

222Rn, a radionuclide
with a half-life of 3.8 days derived from crustal rocks
and soils. Tracers used to investigate stratosphere-to-
troposphere transport have included cosmogenic
radionuclides and fission products from atmospheric
nuclear testing.

TRACERS 2303



Troposphere-to-Stratosphere Transport

From the seasonally resolved vertical ascent rates
just above the tropical tropopause inferred from
the water vapor and CO2 observations discussed
above, mass fluxes into the stratosphere can be
calculated. In addition, the stratospheric CO2 obser-
vations show that air entering the tropical stratosphere
throughout the year is characteristic of the upper
tropical troposphere, as opposed to air at any given
surface site from either hemisphere being injected
directly by convective systems without extensive
mixing along the way. This analysis is predicated on
the fact that CO2 variations in the troposphere vary
dramatically with latitude and altitude.Water vapor is
a powerful tracer of details of troposphere-to-strato-
sphere transport since its saturation mixing ratio is
very sensitive to the pathway and timing of entry.
Dynamical and microphysical mechanisms that quan-
titatively explain stratospheric dryness are still being
sought, however.

New measurements of the isotopic composition of
water vapor entering the tropical stratosphere may
shed further light on the dehydration mechanism(s),
since the relative abundances of deuterium and 18O in
upper tropospheric and lower stratospheric water
vapor are very sensitive to the dehydration process.
For example, models of slow vertical ascent into the
stratosphere yield isotopic values very different from
those from models of dehydration (and rehydration)
in convective systems reaching or penetrating the
tropopause.

Measurements of very short-lived chemical species,
such as CHBr3 (with a global lifetime of 0.1 year) or
radioactive tracers with fast decay rates, such as 222Rn
(with a half-life of 3.8 days) above and below the
tropopause have also been pursued in order to provide
information on rates of transport of air from the
surface to the upper troposphere and the lower
stratosphere. Significant vertical gradients exist for
these species in the troposphere, as expected from their
short lifetimes and surface sources. High spatial and
temporal variability is observed in the upper tropo-
sphere, with higher mixing ratios or activities ob-
served after recent convective events. Sporadic
observations of such short-lived species have been
made just above the tropical tropopause, but quanti-
fying the average time scale for input of air across the
tropical tropopause and its mechanism (i.e., slow
vertical ascent or rapid overshooting convection) or
determining from what characteristic altitude region
the air comes from has so far remained elusive. In
addition, tracers have also been used to test the degree
and nature of transport of air across the extratropical
tropopause. Studies using observations of CO2, water

vapor, and other tracers, for example, are based on
the dependence of these tracers’ concentrations with
latitude of entry of air: CO2 varies with latitude
owing to the surface distribution of its sources
and sinks, and water vapor varies owing to the
variation of tropopause temperature with latitude.
To date, these measurements have shown that dia-
batic transport across the midlatitude tropopause
is minimal and that isentropic transport from the
tropical/subtropical upper troposphere affects strato-
spheric composition only in the lowermost strato-
sphere (defined as the region below 380K potential
temperature).

Stratosphere-to-Troposphere Transport

Because most of the production of cosmogenic beryl-
lium nuclides occurs in the stratosphere, 7Be has been
used as a qualitative tracer of stratosphere-to-tropo-
sphere transport.Measurement of the 10Be/7Be ratio is
now preferred, however, since sampling errors cancel
out and isotope fractionation does not occur during
aerosol removal processes, such as gravitational set-
tling in the stratosphere or wet and dry deposition in
the troposphere. Thus, even if only a small fraction of
beryllium atoms remain in sampled air, the ratio still
retains its ‘age’ or stratospheric signature. For exam-
ple, air samples collected weekly at the surface in the
Arctic at Alert, Canada and in some high-latitude
upper tropospheric samples showed low 7Be concen-
trations that alone might have suggested no strato-
spheric influence; however, they have frequently
corresponded to high 10Be/7Be ratios, which can only
have come from the stratosphere. Estimates of strato-
spheric input of air to theArctic lower troposphere of a
few percent have been made from one year of ground-
based observations. Other important tracers of the
timing and magnitude of stratosphere-to-troposphere
transport are the large data sets of fission products and
tritium detected in tropospheric precipitation after the
atmospheric nuclear bomb tests. These data show that
transport from the stratosphere to the Northern
Hemisphere maximizes during northern spring, even
though the maximum mass flux into the stratosphere
occurs December through February. The fact that the
maximum mass flux out of the stratosphere occurs
several months after the maximum mass flux in is
consistent with the fact that the lowermost strato-
sphere grows in mass from December to March.

Tracers in the Troposphere

For comparison with the stratospheric and strato-
sphere–troposphere exchange tracers discussed above,
several examples of tracer studies in the troposphere
are briefly outlined here. Gradients in the mixing
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ratios of tracers such as CO2 that have major sources
in the Northern Hemisphere are used to constrain
the rate of interhemispheric transport for air at the
surface to about one year. The disappearance of
these gradients in the upper troposphere indicates
that air is efficiently mixed between the hemispheres
in the intertropical convergence zone (ITCZ). Vertical
transport has been investigated, for example, using
the short-lived radioactive tracer 222Rn and its
daughter product 210Pb as well as the attenuation of
the CO2 annual cycle in the upper troposphere with
respect to the surface. Simultaneous measurements
of a set of chemical species with varying photo-
chemical lifetimes have also been used in tropospheric
studies, somewhat analogously to the CH4:N2O:
CFC correlations in the stratosphere but operative
on smaller spatial and temporal scales. For example,
the ratios of alkanes in an air mass can be used to
estimate the age of an industrial plume, since the
ratios of the alkane concentrations change as the
air mass ages due to their different reaction rates
with OH. Tracer release studies are difficult in the
troposphere as well as in the stratosphere. Small-
scale releases of SF6 have been used for studies of
urban pollution dispersion and of vertical trans-
port within a convective system. Larger-scale tracer
release experiments are difficult in part due to the
large mass of the troposphere. One attempt to
overcome this difficulty was the release in 1984 of
fully deuterated methane, 13CD4 and 12CD4, at an
altitude of 5 km between Christchurch, NewZealand,
and Antarctica, followed by collection of air from
aircraft and ground-based stations for analysis
of the isotope ratios with respect to 12CH4. Because
the analysis could detect as little as 2 parts of tracer
in 1017 parts of air against an essentially zero
background, tracer could be detected in surface
and mid-troposphere samples from 1 day to more
than 3 weeks after the release. Some limited infor-
mation was derived on tropospheric relative
diffusion rates to hemispheric scales from this unique
experiment.

See also

Carbon Dioxide. Methane. Middle Atmosphere:
Transport Circulation. Ozone: Ozone Depletion. Radio-
activity: Cosmogenic Radionuclides. Satellite Remote
Sensing: TOMS Ozone. Stratosphere–Troposphere
Exchange: Global Aspects; Local Processes. Strato-
spheric Chemistry and Composition: Overview; Re-
active Nitrogen (NOx and NOy). Stratospheric Water
Vapor. Volcanoes: Role in Climate.
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Introduction

The tropics comprise roughly half the area of the globe
and for this reason alone, the motion of the tropical
atmosphere represents an important component of the
dynamics of the planetary atmosphere. Even if one is
primarily interested in the midlatitudes, it is also
important to understand the dynamics of the tropics
because the circulations at low latitudes can signifi-
cantly influence the circulations at higher latitudes
through various teleconnections. A well-known ex-
ample of this is the effect that the El Niño Southern
Oscillation (ENSO) has on the climate over North
America. The influence of one region upon the other
can also extend in the opposite direction, with the
midlatitudes influencing the tropics. For example,
planetary waves sometimes propagate into the tropics
from the midlatitudes and excite equatorially trapped
waves through lateral forcing and by inducing heating
anomalies through enhanced convection.

In the midlatitudes, the rotation of the Earth plays
an important role in determining the atmospheric
response to forcing. This is also true for the tropics, but
the role can be considerably different depending upon
the proximity to the Equator. As one approaches
the Equator from either pole, the Coriolis parameter
f ¼ 2O sin fð Þ decreases. HereO is the rotation rate of
the Earth and f is the latitude, and thus the Coriolis
parameter is the local vertical component of the
Earth’s rotation. At 41 latitude f is approximately
only 10% as large as it is at 451 latitude. The

meridional gradient of f ; b ¼ qf=qy, is largest at the
Equator, and at 101 latitude f increases to be approx-
imately 25% the value at 451 latitude. The Coriolis
parameter is zero at the Equator and it changes sign as
one moves across the Equator, from one hemisphere
into the other. Many of the differences between the
dynamics of the midlatitudes and the dynamics of the
tropics can be accounted for by these aspects of
behavior of the vertical component of the Earth’s
rotation as one approaches the Equator.

The diminished size of theCoriolis parameter at low
latitudes is responsible for the relatively small geo-
potential fluctuations – and, through the hydrostatic
relation, the temperature fluctuations as well – com-
pared to those in the midlatitudes. Temperature
fluctuations are associated with available potential
energy, and thus there is considerably less mean and
eddy available potential energy in the tropics than in
themidlatitudes. As a result, disturbances that grow in
the tropics must do so by other means than baroclinic
energy conversions, which dominate at higher lati-
tudes. The possible energy sources for tropical distur-
bances include lateral forcing from the midlatitudes,
barotropic energy conversions, and systematic inter-
action with convective heating such that temperature
and heating anomalies are positively correlated. In the
next section, we perform a scale analysis to examine
the consequences of the magnitude of f being small in
the tropics.

A Scale Analysis

Some information about the character of the synoptic-
scale motions in the tropics can be obtained by
performing a scale analysis of the governing equations.
To do this, characteristic scales are determined for the
temporal and spatial variations of the motion based
upon observations.

It can be somewhat more intuitive to use a form
of the governing equations in which the vertical
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coordinate has units of length rather than pressure.
However, if height is used as the vertical coordinate,
density appears explicitly in the equations and this
complicates matters rather than simplifying them. A
way to avoid this complication is to specify the vertical
coordinate as being proportional to the log of the
pressure as in eqn [1].

zn 
 �H ln
p

ps
½1�

In eqn [1],p is the pressure,ps is a standard reference
pressure (taken to be 1000 hPa),H is a standard scale
height,H 
 RTs=g,R is the gas constant for dry air,Ts

is an average temperature, and g is the gravity force.
The units of zn are the same as those of H, and zn is
approximately equal to the actual height from the
surface in the troposphere.

The vertical velocity in this coordinate system is
given by eqn [2].
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The operator D=DT is defined in eqn [3], where V ¼
iuþ jv; u and v are the zonal and meridional wind
components, respectively, and = ¼ iq=qxþ jq=qy.
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The governing equations are eqns [4] to [7].
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These equations represent the horizontal momentum
equation, the hydrostatic equation, the conservation
of mass, and the conservation of energy, respectively.
Here, F is the geopotential, J is the heating rate,N2 ¼
R=Hð Þ qT=qzn þ kT=Hð Þ is the buoyancy frequency
squared, k 
 R=Cp, and Cp is the specific heat for dry
air at constant pressure.

For the case of circulations with wavelike structure
in space and time, the length and temporal scales are a
quarter wavelength (Figure 1). Over a quarter-wave-
length interval, a quantity initially with zero ampli-
tude attains (absolute) peak amplitude. In this
analysis, we do not provide estimates for the ampli-

tude fluctuations of all quantities appearing in the
governing equations. The unspecified quantities are
diagnosed from the values provided using the govern-
ing equations.We do this because it is instructive to see
why, for example, temperature perturbations are
relatively small in the tropics. The magnitude of the
temperature and vertical velocity perturbations that
are diagnosed in the following analysis are in agree-
ment with observations of the type of motions used to
determine the values for the scales.

We define characteristic scales for the field variables
as:

D 	 2:5�103 m vertical depth scale
L 	 1:0�106 m horizontal length scale
U 	 5:0m s�2 horizontal velocity scale
t 	 1:0�105 s time scale
f 	 2:0�10�5 s�1 Coriolis parameter at approxi-
mately 81
b ¼ qf=qy 	 2:0�10�11 m�1 s�1

H 	 8:0�103 m scale height
N 	 1:2�10�2 s1 buoyancy frequency

Note that in this analysis, DoH.
One consequence of f ¼ 0 at the Equator is the

existence of disturbances that propagate zonally and
whose amplitude decays with distance from the
Equator. These are known as equatorially trapped
waves. The scale values listed above are representative
of equatorially trapped waves with a horizontal
wavelength of 4� 103 km and vertical wavelength of
about 10 km.Numerous theoretical and observational
studies confirm their existence in the tropical atmos-
phere and they are described in detail elsewhere in this
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Figure 1 Schematic diagram showing an example of how the

length and amplitude values were chosen for the scale analysis

based on disturbances with wavelike structures in space. Time

scales were chosen in a similar way, with time replacing distance

along the abscissa.
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volume (see Tropical Meteorology: Equatorial
Waves).

We now use these values to estimate the magnitude
of the terms appearing in eqn [4], as given by eqns [8]
to [11].

qV
qt

����
���� 	 U

t
	 5:0�10�5 m s�2 ½8�

V .=ð ÞVj j 	 U2

L
	 2:5�10�5 m s�2 ½9�

wn qV
qzn

����
���� 	 wn U

D
	 wn�2:0�10�3 m s�2 ½10�

fk�Vj j 	 U

f
	 1:0�10�4 m s�2 ½11�

We do not introduce an estimate for the size of wn

from observations and for now we assume that it is
small enough so that the vertical advection is consid-
erably less than the other terms. Thiswill turn out to be
the case, as will be shown later. The Coriolis term is
larger than the other terms on the right-hand side of
eqn [4] by a factor of 2 compared to the local time rate
of change, and by a factor of 4 compared to the
horizontal advection term. For a disturbance with a
wavelike horizontal structure, the velocity and the
gradient of the velocity are out of phase. Thus, the
advection term is likely smaller than estimated in eqn
[9]. We assume, then, that the geopotential gradient
term is of the same order as theCoriolis term, although
it could be somewhat smaller, particularly closer to the
Equator. We then have relation [12].

rF 	 dF
L

	 1:0�104 m s�2

) dF 	 100m2 s�2 ½12�
From eqn [5], we can estimate the temperature
perturbation associated with a geopotential perturba-
tion of this size (eqn [13]).

T ¼ H

R

qF
qzn

	 H

R

dF
D

	 1:0K ½13�

The geopotential and the associated temperature
perturbations are quite small, about an order of
magnitude less than those with the same scale in the
midlatitudes. This is a consequence of the Coriolis
parameter being an order of magnitude smaller in the
tropics than in the midlatitudes.

The terms in the thermodynamic energy equation
[7] can now be evaluated as in eqns [14] and [15].

qT
qt

	 T

t
	 1:0�10�5 K s�1 ½14�

V .=ð ÞT 	 UT

L
	 5:5�10�6 K s�1 ½15�

The local time rate of change is larger than the
horizontal advection term by approximately a factor
of 2. For the case of baroclinic motions, the temper-
ature perturbations are in quadrature (in the vertical
direction) with the horizontal motions, so the hori-
zontal advection of temperature is smaller than the
estimate in eqn [15]. We assume that the flow is
adiabatic (J ¼ 0) and the local time rate of change of
temperature is balanced by vertical motion. The
balance between the local time rate of change of
temperature and vertical motion may then be used to
estimate the vertical motion (eqn [16]).

qT
qt

	 wnN2H

R

) wn 	 R

HN2

qT
qt

	 2:5�10�3 m s�1 ½16�

Substituting this value into eqn [10], we see that the
vertical advection term is small compared to the other
terms in eqn [4], as we assumed earlier.

We can now evaluate the magnitude of all of the
terms appearing in the continuity equation [6] as in
eqns [17] to [19].

qu
qx

	 qv
qy

	 U

D
	 5:0�10�6 s�1 ½17�

qwn

qzn
	 wn

D
	 1:0�10�6 s�1 ½18�

wn

H
	 3:4�10�7 s�1 ½19�

Comparing eqns [17] and [18], it is clear that there is
considerable cancellation between the two horizontal
divergence terms. Nevertheless, the horizontal diver-
gence given by their sum is crucial for the existence of
equatorially trapped waves. The associated vertical
motion and adiabatic temperature changes are neces-
sary to keep the geopotential and temperature fields in
hydrostatic balance.

The higher-frequency modes, i.e., the eastward and
westward inertio-gravity waves, and the Kelvin waves
of all frequencies are highly divergent. To first order,
they propagate because of the geopotential changes
that result from divergence and convergence. These
waves behave like gravity waves in this respect.

Thewind fields associatedwith the lower-frequency
modes – the Rossby waves – are much less divergent
much more rotational. To first order, they propagate
because of vorticity changes that result from the
advection of planetary vorticity. This may be illustrat-
ed using the equation describing the time rate of
change of the vertical component of vorticity. A
vorticity equation may be obtained by taking k .=3
[4]. Neglecting the terms that are small for synoptic
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scale motions (vertical advection, tilting, and sole-
noidal terms) the result is given by eqn [20], where
z ¼ qv=qx� qu=qy.

qz
qt

¼ V .=ð Þ zþ fð Þ þ zþ fð Þ = .Vð Þ ½20�

Substituting in the scaling values for the two terms on
the right-hand side, we obtain eqns [21] and [22].

V .=ð Þ zþ fð Þ 	 U
U

L2
;b

� �
:

U2

L2
	 2:5�10�11 s�2

Ub 	 1:0�10�10 s�2 ½21�

and

zþ fð Þ = .Vð Þ 	 U

L
; f

� �
wn

D
:

U

L

wn

D
	 5:0�10�12 s�2

f
wn

D
	 2:0�10�11 s�2 ½22�

Twovalues are given for each term.The first represents
the value obtained using the relative vorticity, z, and
the second represents the value obtained using the
planetary vorticity, f . The second value listed for eqn
[21] is appropriate for the entire tropical region
because b does not change very much between 301 S
and 301N. In contrast the Coriolis parameter, f , varies
considerably within this region. The second value
listed for eqn [22] is evaluated at 81 latitude and it
approaches zero as f ¼ by ! 0.

For v 6¼ 0 the meridional advection of planetary
vorticity is an order of magnitude larger than any of
the other terms. It must be balanced by the time rate of
change of vorticity, resulting in wave propagation.
This is also true for Rossby waves in the midlatitudes.
For the Kelvin wave v 
 0, the advection of planetary
vorticity is zero, and associated vorticity changes,
which are small compared to those for the Rossby
wave, result only from the divergence term.

The theoretical aspects of equatorially trapped
waves are well understood and a number of observa-
tional studies have documented and described them
(see Tropical Meteorology: Equatorial Waves). They
are sometimes systematically associated with convec-
tion and, at least in some cases, convective heating acts
as a substantial source of energy for the circulations.

The results from this scale analysis depend critically
on the value of the depth scale, D. This is because the
divergence is proportional to dF=D2 and therefore the
magnitude of the divergence decreases markedly asD

increases. An alternate approach to the one taken in
this section is to choose the depth scale to be the same
as the scale height. If this is done, one concludes that
synoptic-scale motion in the tropics is essentially
nondivergent. These circulations cannot convert po-
tential energy to kinetic energy and thus they must be
forced laterally from the midlatitudes or locally by
barotropic energy conversions from the basic state
flow. There is some observational support for the
existence of such motion, but not nearly as much as
there is for equatorially trappedmodes. Perhaps this is
because they have not attracted much attention
because nondivergent motions would not be associat-
ed with precipitation.

The Large-Scale Circulation in the
Tropics

What processes determine the structure of the ob-
served large-scale flow in the tropics? Even if one
ignores the fact that the tropical circulation and the
circulation at higher latitudes influence each other in
ways that are sometimes very important, the question
posed is still very complex because it depends on
processes that have vastly different time and length
scales. Also, the forcing functions are not independent
of the motion itself.

Latent heating is the dominant source of energy for
the tropical circulation, with radiative heating playing
an important but secondary role. Therefore, motions
on the scale of individual convective clouds and the
mesoscale and synoptic-scale systems in which they
are sometimes organized are an important part in
determining the strength and location of convection
that drives the large-scale flow. In addition, the
distributions of radiative heating and cooling are
strongly influenced by the distribution and the phys-
ical characteristics of clouds. The processes that
determine the cloud radiative forcing are also signif-
icant parts of the answer to the question posed.
Inclusion of this level of resolution in a modeling or
theoretical study is not very practical, however, and
the average effect of convective and radiative process-
es must be modeled or parameterized in terms of
larger-scale variables if they are to be included in
studies of the large-scale flow.

The Strength and Location of Convection

As discussed above, tropical motions are driven
principally by the latent heat released during convec-
tion. The strength and the location of convective
activity, on the other hand, depends strongly on the
state of the atmosphere. Different properties of the
atmosphere influence convective activity for different
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reasons. In this section, we consider various processes
that influence the strength and location of convection
starting at the lower boundary and progressing
upward into the free atmosphere.

At the surface, the state of the atmosphere and the
state of the ocean and land surface both influence
convective activity through their effect on the surface
fluxes of latent and sensible heat. The flux of latent
heat from the ocean surface supplies the moisture for
convective activity. In some instances, this moisture is
transported horizontally for large distances before it
moves vertically and condenses out of the atmosphere
as precipitation. The flux of sensible heatmay alter the
surface temperature, which in turn may increase the
instability of the atmosphere with respect to convec-
tion. The physical processes responsible for these
fluxes have too small a scale to be explicitly resolved in
large-scale modeling and theoretical studies. Data
with the resolution necessary to explicitly resolve these
processes is rarely available for large-scale analytical
studies. In these cases, when knowledge of the fluxes is
required, the fluxes must be parameterized in terms of
the resolved scale variables. The sensible and latent
heat fluxes may be parameterized using a so-called
bulk formulation, as in eqns [23] and [24], for
example.

H

rCp
¼ w0T 0 ¼ ChU Tsurface � Tð Þ ½23�

E

rLv
¼ w0q0 ¼ CqU qsurface � qð Þ ½24�

In these equations,H is the sensible heat flux, E is the
latent heat flux, and, w0, T 0, and q0 are the sub-grid-
scale vertical velocity, temperature, and specific hu-
midity, respectively. Ch and Cq are the transfer
coefficients for the sensible and latent heat, which
are determined empirically, and U ¼ u2 þ v2

� 	1=2
.

Tsurface is the sea surface temperature (SST) or the
land surface temperature and qsurface is the saturation
mixing ratio calculated using the SST. In the case of
land, qsurface is calculated in the same way but,
depending on the amount of water in the surface layer,
it may not be saturated.

In this formulation, the sensible heat flux is propor-
tional to the difference between the surface layer
temperature and the atmospheric temperature multi-
plied by the wind speed. In similar way, the latent heat
flux is proportional to the difference between the
specific humidity at the surface (which in the case of an
ocean surface, is assumed to be saturated at the
temperature of the sea surface) and the specific
humidity in the atmosphere, multiplied by the wind
speed. Feedbacks between the atmosphere and the
ocean exist for several reasons. One of the simplest

results from the fluxes of latent and sensible heat that
cool the ocean near the surface. The cooling reduces
the temperature difference at the interface and hence
reduces the flux, and there exists a negative feedback.

Another mechanism whereby the atmospheric cir-
culation and the sea surface temperature interact may
be explained using the observation that the virtual
potential temperature ðyv ¼ Tvðp0=pÞkÞ, where Tv is
the virtual temperature, is approximately constant
with height in a well-mixed marine boundary layer. In
addition, observations show that the horizontal var-
iations of yv in the atmosphere closely resemble those
in the SST. This occurs because shallow convection
within the boundary layer mixes air near the surface
upward. This temperature and moisture distribution
then influences the pressure distribution through the
hydrostatic relation. This pressure distribution then
determines the boundary layer winds, which may act
to transport moisture for some distance. The wind
patterns may also result in regions of moisture
convergence throughout the depth of the boundary
layer and this can have a strong influence on the
strength and the location of convection. The conver-
gence does not influence the convection on the scale of
individual cumulus clouds but rather on the larger
scale, by increasing the low-level moisture over a large
region andmaking itmore likely that individual clouds
reach the level of free convection.

As evidence in support of this mechanism, observa-
tions show that in some locations, such as the western
Pacific, warmer SSTs generally associatedwith strong-
er convection and the strongest convection is collo-
catedwith thewarmest SSTs. Such relationshipsmight
be expected based upon consideration of eqns [23] and
[24] alone. In locations where there exists a moderate
pressure gradient across the Equator, however, these
relationships break down. These are the intertropical
convergence zones (ITCZs). The SSTs in the ITCZs are
observed to be warm but are several degrees cooler
than in the west Pacific. In spite of this, the outgoing
longwave radiation (OLR) values are comparable in
both regions. Also, the convection in the ITCZs is not
collocated with the local SST maximum. It has been
suggested that this is the result of dynamically driven
convergence in the boundary layer that results from
the cross-Equator pressure gradient force. A study
using a simple model shows that the nonlinear
dynamical response to an imposed pressure gradient
force directed across the Equator results in a single
meridional wind maximum located in the hemisphere
with the low-pressure center. The maximum has a
narrowmeridional extent and is thus associatedwith a
dipole in the convergence field, with the convergence
center located between the Equator and the low-
pressure center. Some of the results from this study are

2310 TROPICAL METEOROLOGY / Overview and Theory



shown in Figure 2. The solid lines indicate the solution
obtained using the full model equations. In this study,
the presence of locally anticyclonic absolute vorticity
was shown to be important for there to be a single
maximum in the meridional wind. When the model
was altered to keep the absolute vorticity cyclonic
everywhere, the singlemeridionalwindmaximumwas
replaced with two weaker maxima, one in each
hemisphere. These results are shown in Figure 2 as
dashed lines.

Finally, divergence in the upper levels of the atmos-
phere can influence convection. This was recognized
early in the modern history of tropical meteorology.
The continuity equation requires that vertical motion
must exist below and/or above the divergence centers.
When the divergence is located in the upper tropo-
sphere, the air above is much more statically stable
than the air below; thus upward motion from below
dominates in the conservation of mass. This upward
motion must be balanced by adiabatic cooling for the
thermodynamic energy equation to hold. This cooling
increases the convective available potential energy in

the column. If this cooling occurs low enough in the
troposphere, it may also lower the level of free
convection.

So far we have discussed various processes whereby
the atmosphere and ocean and land exert their
influence on the strength and the location of convec-
tion and some feedbacks that occur in connectionwith
these processes. This discussion was motivated by the
observations that the tropical atmosphere is driven
principally by latent heating and that the distribution
of latent heating depends strongly on the atmospheric
flow. An important question at this point is what the
circulation develops in response to convective heating.

Modeling the Response to Imposed Heating

A full account of the large-scale flow in the tropics
involves many elements of a complex coupled climate
system that includes a wide range of important
temporal and spatial scales. Clearly, an approach
that involves looking at certain aspects of the tropical
circulation in isolation from others can simplify the
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problem to the point that allows the identification of
fundamentally important mechanisms. This strategy
has been used successfully to examine the tropical
atmosphere’s response to imposed heat sources. The
approach used in several studies is to construct a
simple model of the steady-state atmosphere using the
shallow water equations and assuming that the heat-
ing is sufficiently small that the motion may be
accurately modeled using linear dynamics. The result-
ing equations after nondimensionalizing are given as
eqns [25] to [28].

eu� 1

2
yv ¼ � qp

qx
½25�

evþ 1

2
yu ¼ � qp

qy
½26�

epþ qu
qx

þ qv
qy

¼ �Q ½27�

w ¼ �epþQ ½28�
Here (x, y) is the nondimensional distance in the x
(eastward) and y (northward) directions, (u, v) is
proportional to the horizontal velocity, p is propor-
tional to the pressure perturbation, and Q is the
heating rate, such that if the sign of Q is positive, the
sings of u, v, p correspond to those quantities at the
surface. The vertical velocity w is given by eqn [28],
which is derived from the buoyancy equation. Ray-
leigh friction (dissipation proportional to speed) and
Newtonian cooling (heating or cooling proportional
to temperature anomalies relative to the mean tem-
perature) are including using the same coefficient, e.

The distribution of heatingmay be specified in terms
of the normal modes to these equations, making it
possible to obtain analytical solutions. The solution to
eqns [25], [26], and [27] for the case of heating
centered on the Equator is shown in Figure 3.

One of most striking aspects of this solution is that
the influence of the heating on the circulation extends
farther eastward than it does westward. Also, the
solution to the east of the heating is confined more
closely to the Equator than the solution to the west of
the heating. Having the analytical solutions to eqns
[25], [26], and [27] allows one to interpret this
response in terms of the propagation of equatorially
trapped waves. The low-level easterlies to the east of
the heat source are the result of a Kelvin wave
propagating eastward, under the influence of dissipa-
tion. The low-level westerlies lying to the west of the
heating are the result of a (n ¼ 1) Rossby wave
propagating westward under the influence of dissipa-
tion. Since the Kelvin wave travels three times faster
than the Rossby wave, the easterlies extend farther

from the heating than do the westerlies. The Kelvin
wave has v 
 0 and the zonal flow is confined close to
the Equator. The (n ¼ 1) Rossby wave horizontal
structure consists of two gyres straddling the Equator
and rotating in opposite senses.

The distributions of heating and low-level winds are
similar to those observed in the Indian and Pacific
ocean regions. That is, there is strong convection over
the Indonesian region. To the west, over the Indian
Ocean, there are westerlies. To the east, over the
Pacific Ocean, there are easterlies and the easterlies
extend over a much larger distance. The greatest
limitation to applying these results to the atmosphere
is that they were obtained by specifying the forcing,
which is assumed to represent convective heating. As
discussed in the previous subsection, the heating
depends strongly on the atmospheric circulation. A
consistentmodel of the atmospheric circulationwould

L

L

4

0

−4

y

4

0

−4

y

(i)

(ii)

−10 −5 0 5 10 15

−10 −5 5 10 15

x

x

z

p

(A)

(B)

(C)

Figure3 Solution for heating that is symmetric about theEquator

in the region xj jo2 for decay factor e ¼ 0:1. (A) Contours of vertical

velocity w (solid contours are 0, 0.3, 0.6, broken contour is � 0.1)

superimposed on the velocity field for the lower layer. The field is

dominated by the upwardmotion in the heating region, where it has

approximately the same shape as the heating function. Elsewhere

there is subsidencewith the same pattern as the pressure field. (B)

Contours of perturbation pressure p (contour interval is 0.3), which

is everywhere negative. There is a trough at the Equator in the

easterly regime to the east of the forcing region. On the other hand,

the pressure in the westerlies to the west of the forcing region,

though depressed, is high relative to its value of the Equator. Two

cyclones are found to the north-west and south-west flanks of the

forcing region. (C) The meridionally integrated flow showing (i)

stream function contours, and (ii) perturbation pressure. Note the

rising motion in the heating region (where there is a trough) and

subsidence elsewhere. (After Gill (1980).)

2312 TROPICAL METEOROLOGY / Overview and Theory



predict the distribution of heating rather than having it
prescribed. Nevertheless, studies of the steady atmos-
pheric response to imposed forcing provide valuable
insights to important physical mechanisms that deter-
mine horizontal flow patterns and show reasonably
goodagreementwith the broad aspects of the observed
circulation.

See also

Dynamic Meteorology: Overview. El Niño and the
Southern Oscillation: Observation; Theory. Hurri-
canes. Instability: Inertial Instability.Monsoon: Dynam-
ical Theory; ENSO–Monsoon Interactions; Overview;
Prediction. Quasi-geostrophic Theory. Tropical Me-
teorology: Equatorial Waves; Inter Tropical Convergence
Zones (ITCZ); Intra-seasonal Oscillation (Madden–Julian
Oscillation); Tropical Climates.
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Introduction

Equatorial waves are a particularly interesting phe-
nomenon for meteorology. They are geophysical fluid
waves, existing for a range of spatial and temporal
scales, that are trapped near the Equator. They
propagate in the zonal and vertical directions, and
may exist at any altitude level in the fluid envelope
surrounding the rotating Earth. They cause oscilla-
tions in the pressure, temperature, and winds or
currents,with themagnitude of such oscillations being
large enough to influence the large-scale weather.
Equatorialwaves are also excited by energeticweather
events, such as by the latent heating of organized
tropical convection, or by a surge of cold air from the
extratropics. Thus, because equatorial waves transmit
energy in the longitudinal and vertical directions, they
are a means by which a location in the tropical
atmosphere (or ocean) may be influenced by a remote
energetic disturbance. This influence can sometimes

extend around a large portion of the Earth’s circum-
ference at the Equator.

Likemanymeteorologically important atmospheric
waves, equatorial waves result from the influence of
the restoring forces of gravity, the pressure gradient
force, and the apparent Coriolis force upon displace-
ments of parcels of air in the Earth’s atmosphere. Of
importance for the equatorial waves is that the
Coriolis force changes sign at the Equator. It is this
that allows these waves to exist in a region trapped
near the Equator, that is, with their amplitude decay-
ing away from the Equator. Thus, although the
Coriolis force is small, and consequently the geo-
strophic balance is no longer expected, the rotation of
the planet still plays a very important role for these
large-scale atmospheric motions near the Equator.

This article concentrates on the equatorial waves
that occur in the troposphere, that is, those that most
readily influence the weather. The article begins with
the theory needed to give a basic understanding for
their existence and appearance. In many respects, the
theory is equally applicable to the equatorial waves of
the ocean or middle atmosphere. The treatment
continues with a simulation of equatorial wave
dispersion in a numerical model of the atmosphere,
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given a forcing that is fairly typical of an energetic
weather event. The rest of the article is devoted to the
various observations of equatorial waves, and their
significance for the weather.

Theory

The theory of equatorial waves may start with the
primitive equations, that is, the full set of basic
equations that govern the time evolution of the
three-dimensional large-scale motion field in the
stratified atmosphere. These equations are often writ-
ten as six equations in six unknowns: the zonal
velocity u, meridional velocity v, vertical velocity w,
density r, pressure p, and temperatureT (seeDynamic
Meteorology: Primitive Equations).

Mathematically, it can be shown that when linear-
ized about a basic state with no (or vertically constant)
motion, the hydrostatic primitive equations may be
reduced, or separated, into an infinite set of independ-
ent barotropic or ‘shallow water’ equations, and a
vertical structure equation. The shallow water equa-
tions govern the horizontal and time-varying behavior
of each ‘normal mode’ of the flow, and are written as
three equations in three unknowns only. The vertical
structure equation, on the other hand, may be solved
to give the vertical structures of each normal mode, as
well as the so-called ‘equivalent depths’ of each of the
modes. The equivalent depth also appears in the
shallowwater equations, and is simply the depth of the
shallow layer of fluid required to give the correct
horizontal and time-varying structure of each mode.
As such, the equivalent depth provides the link
between the vertical structure equation and the shal-
low water equations. Mathematically, the equivalent
depth is the separation constant.

This separation of the primitive equations into
horizontal and vertical components is very useful for
the analysis and derivation of the equatorial waves, as
will be shown.

Horizontal and Time-varying Structure

The shallow water equations on the rotating Earth in
Cartesian geometry may be written as eqns [1] to [3].

qu0l
qt

� fv0l ¼ � qF0
l

qx
½1�

qv0l
qt

þ fu0l ¼ � qF0
l

qy
½2�

qF0
l

qt
þ ghl

qu0l
qx

þ qv0l
qy

� �
¼ 0 ½3�

where f is the Coriolis parameter (f 
 2O sin fwhere
O is the angular velocity of the rotation of the Earth,

and f is the latitude), g is the acceleration due to
gravity, hl is the equivalent depth, u0l and v0l are the
(horizontal) velocities in the x and y directions,
respectively, and F0

l is the geopotential. The primes
denote the fact that these are perturbation fields
relative to the basic state of nomotion aboutwhich the
equations are linearized, while the subscript l signifies
that these equations govern a particular vertical
normal mode only. In the shallow water equations,
the unknown variables are a function of horizontal
position ðx; yÞ and time ðtÞ only.

Note that although these equations as written are
for perturbations to the free surface of a shallow layer
of incompressible, homogeneous density fluid ofmean
depth hl (also called the divergent barotropic model),
these equations are equally valid for internal modes of
motion of the stratified atmosphere, as discussed
above, provided the correct choice of hl is made.
Then, to obtain the full three-dimensional flow of the
internal normalmode, onemustmultiply the solutions
for u0l, v

0
l, and F0

l by the particular internal mode’s
vertical structure function GlðzÞ, as in eqn [4].

u0ðx; y; z; tÞ ¼ u0lðx; y; tÞGlðzÞ ½4�
Returning to eqns [1]–[3], we now make the

approximation that the Coriolis parameter, f , is
linearly proportional to latitude. That is, f ¼ by, to
give what is called the equatorial b-plane. Equations
[1]–[3] then become eqns [5] to [7].

qu0l
qt

� byv0l ¼ � qF0
l

qx
½5�

qv0l
qt

þ byu0l ¼ � qF0
l

qy
½6�

qF0
l

qt
þ ghl

qu0l
qx

þ qv0l
qy

� �
¼ 0 ½7�

We now seek solutions in the form of zonally
propagating waves, eqn [8], where k is the zonal
wavenumber, and n is frequency.

ðu0l; v0l;F0
lÞ ¼Ref½ûuðyÞ; v̂vðyÞ; F̂FðyÞ�

� exp½iðkx� ntÞ�g ½8�
Substitution into eqns [5]–[7] then yields a set of
ordinary differential equations in y for the meridional
structure functions ûu; v̂v; F̂F, eqns [9] to [11].

�inûu� byv̂v ¼ �ikF̂F ½9�

�inv̂vþ byûu ¼ � dF̂F
dy

½10�
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�inF̂Fþ ghl ikûuþ dv̂v

dy

� �
¼ 0 ½11�

This set of equations may be arranged to eliminate
both ûu and F̂F, yielding a second-order differential
equation in v̂v only (eqn [12]).

d2v̂v

dy2
þ n2

ghl
� k2 � k

n
b� b2y2

ghl

 !
v̂v ¼ 0 ½12�

Since we are considering wave motions near the
equator, we require the boundary condition for this
equation that the solutions will decay at large jyj. This
boundary condition is also required so that the
equatorial b-plane approximation remains valid. It
so happens that eqn [12] with the said boundary
condition is of the same form as one encountered in
physics, called the Schrödinger equation for a simple
harmonic oscillator. Decay of solutions away from the
Equator is only satisfied when the constant part of the
coefficient in parentheses satisfies the relationship
[13]. ffiffiffiffiffiffiffi

ghl
p
b

n2

ghl
� k2 � k

n
b

� �
¼ 2nþ 1;

n ¼ 0; 1; 2; . . . ½13�

This equation gives a relation between the frequency,
n, and the longitudinal wavenumber, k, for some
positive integer number n. That is, it defines the
(horizontal) dispersion relations of the equatorial
waves. Since it is a cubic equation in n, we have three
roots for n when n and k are specified. As will be
discussed later, n corresponds to the number of
nodes in the meridional profile of the meridional
velocity, and is thus called the meridional mode
number. Also of note is the symmetry of eqn [13]
such that the quadrant of wavenumbers and frequen-
cies defined by ko0; no0 is identical to that defined
by k > 0; n > 0. Similarly, the quadrant defined by
k > 0; no0 is identical to that defined by ko0; n > 0.
By eqn [8], these quadrants ofwavenumber–frequency
space are separately occupied by eastward- or west-
ward-propagating waves.

Solutions to eqn [13] may be obtained by making
various approximations. For example, at low frequen-
cies, the term n2=ghl is much smaller than the others in
parentheses. This gives [14] as one set of solutions.

nRossby �
�bk

k2 þ ð2nþ 1Þb=
ffiffiffiffiffiffiffi
ghl

p ½14�

The corresponding waves for this set of solutions are
called the equatorial Rossby (or planetary) waves.
They are westward-propagating only, as n is of the

opposite sign to k. For hl ! 1, this dispersion relation
becomes like that for midlatitude Rossby waves.

At high frequencies, the term �kb=n in eqn [13] is
small. This gives [15] as the approximate solutions for
the other two roots of eqn [13].

nIG � �½ð2nþ 1Þb
ffiffiffiffiffiffiffi
ghl

p
þ k2ghl�1=2 ½15�

The correspondingwaves for these sets of solutions are
called the eastward inertio-gravity (for the positive
root), and westward inertio-gravity (for the negative
root) waves, respectively. For large k and small n, the
dispersion of these waves approximates that of pure
gravity waves.

All the solutions of eqn [13], computed exactly, are
shown in Figure 1. For convenience in the diagram,we
have nondimensionalized the wavenumber and fre-
quency by taking the units of time and length as given
in [16].

½T� ¼ ð1=b
ffiffiffiffiffiffiffi
ghl

p
Þ1=2 ½L� ¼ ð

ffiffiffiffiffiffiffi
ghl

p
=bÞ1=2 ½16�

This scaling allows the curves to be plotted irrespective
of the value of hl, b, or g. The three classes of waves
discussed so far appear in the bottom left, upper right,
and upper left portions of the diagram, respectively.
Also shown are the dispersion curves of two additional
equatorial waves that require special consideration.
They are the n ¼ 0 wave of eqn [13], and the Kelvin
wave, for which v̂v ¼ 0 and which is thus not covered
by the solutions of eqns [12] or [13].

Of the waves requiring special consideration, the
n ¼ 0 wave can be treated by setting n ¼ 0 directly in
eqn [13]. The allowed roots are given exactly by eqn
[17].

nn¼0 ¼ k
ffiffiffiffiffiffiffi
ghl

p 1

2
� 1

2
1þ 4b

k2
ffiffiffiffiffiffiffi
ghl

p
 !1=2

2
4

3
5 ½17�

The positive root corresponds to an eastward inertio-
gravity wave, while the negative root corresponds to a
westward-propagating wave. The westward wave is
generally called the mixed Rossby-gravity wave, as it
shares properties of both the Rossby and inertio-
gravity waves. It is also sometimes called the Yanai
wave. For jkj ! 0, the positive and negative roots
coincide to produce a continuous curve, as displayed
in Figure 1.

To obtain the dispersion curve of the Kelvin wave,
on the other hand, one must return to eqns [9]–[11]
and set v̂v ¼ 0. Combining the equations to eliminate
F̂F, one is able to show that the Kelvin wave disper-
sion relation is given by nKelvin ¼

ffiffiffiffiffiffiffi
ghl

p
k, with the

meridional structure of u given by ûuKelvin ¼
expð�by2=2

ffiffiffiffiffiffiffi
ghl

p
Þ. This wave is often labeled as the

TROPICAL METEOROLOGY / Equatorial Waves 2315



n ¼ �1 wave, as its dispersion relation can be
obtained by setting n ¼ �1 in eqn [13]. The full
horizontal structure of the Kelvin wave is as shown in
Figure 2H.

For the full horizontal structures of the other waves,
one must return to eqn [12]. From the study of the
similar Schrödinger equation in physics, it is known
that the solutions of [12] are given exactly by eqn [18],
where Hn is the Hermite polynomial of the nth order.

v̂vðyÞ ¼ expð�by2=2
ffiffiffiffiffiffiffi
ghl

p
ÞHnððb=

ffiffiffiffiffiffiffi
ghl

p
Þ1=2yÞ ½18�

As required, these solutions for v̂v decay for large jyj.
The first few of the Hermite polynomials are listed in
[19].

H0 ¼ 1; H1ðeÞ ¼ 2e; H2ðeÞ ¼ 4e2 � 2;

H3ðeÞ ¼ 8e3 � 12e ½19�

Thus, as already mentioned, the index n corresponds
to the number of nodes in v̂v in the domain jyjo1.
These solutions for v̂v, along with the dispersion
relations from [13], may be substituted back into
eqns [9]–[11] to obtain equations for ûu and F̂F also. The
corresponding full horizontal structures are as dis-
played in Figure 2.

Through inspection of Figures 1 and 2, further
properties of these waves can now be discussed. First,
however, it must be noted that all the scales and fields
displayed in the figures are nondimensionalized by the
units of time and length given above in eqn [16]. A
dimensional variable may be returned by multiplica-
tion and division by the correct combination of time
and length scales; for example, F ¼ Fn�½L�2=½T�2,
where Fn is the plotted nondimensional geopotential.
In addition, as the equations were linearized, any
linear combination of the solutions described by the
figures is also a solution.

Concentrating for the moment on the dispersion
curves for the waves (Figure 1), many of their
important properties can be discerned by recalling
the equations for the zonal phase speed and the zonal
component of the group velocity as c

ðxÞ
p 
 n=k and

c
ðxÞ
g 
 qn=qk, respectively. That is, the group velocity is
the local slope of the curves, while the phase speed is
determined by the position on the diagram relative to
the origin. Given this, it can be seen that equatorial
Rossby waves only propagate to the west (relative to
themeanflow),while their energy (as inferred from the
group velocity) may propagate to the east or west,
depending on their zonal scale. Mixed Rossby-gravity
waves, on the other hand, always have westward
phase and eastward energy propagation. Kelvinwaves
are nondispersivewaves, with their phase propagating
relatively quickly to the east at the same speed as their
group. Eastward inertio-gravity waves, as their name
implies, always have phase propagation to the east.
Their group propagation is also always to the east.
Finally, westward inertio-gravity waves have phase
propagation to the west, while their group propaga-
tion is almost always also to the west, except for very
low zonal wavenumbers. Obviously, the inertio-grav-
ity waves propagate much more quickly than the
Rossby waves, while the Kelvin wave has a phase
speed of intermediate magnitude.

Typical values of the Kelvin wave phase speed, also
known as the gravity wave speed, are in the range
cl 


ffiffiffiffiffiffiffi
ghl

p
� 10–50m s� 1 in the troposphere (corre-

sponding to hl in the range 10–250m), and skewed to
higher values in the middle atmosphere. For internal
ocean waves that propagate along the thermocline,
appropriate values of cl are in the range 0.5–3.0m s� 1

(corresponding to hl in the range 0.025–1.0m).
We may now turn to the wave’s horizontal struc-

tures as presented in Figure 2, each for a nondimen-
sional zonal wavenumber of jknj ¼ 1. The horizontal
scale of the waves may be determined by computing
the unit of length by which the solutions have been
scaled, ½L�. This scale is also known as the equatorial
Rossby radius. For the troposphere, with
hl � 10–250m, ½L� � 6–13 degrees of latitude. For

n = 1 2 3 4 n = 1234 0

Eastward inertio-
gravity

Westward inertio-
gravity

3

2

1

�*

k *

Mixed Rossby-
gravity

Kelvin

n = 0

n
=

1

Rossby

n = 2
1

3
4

3 2 1 0 1 2 3

Figure1 Dispersion curves for equatorial waves (up to n ¼ 4) as

a function of the nondimensional frequency, nn, and zonal wave-

number, kn, where nn 
 n=ðb ffiffiffiffiffiffiffi
ghl

p Þ1=2, and kn 
 kð ffiffiffiffiffiffiffi
ghl

p
=bÞ1=2.

For all but theKelvinwave, these dispersion curves are solutions of

eqn [13]. Eastward-propagating waves (relative to the zero basic

state employed) appear in the right-hand quadrant, and westward

propagating waves appear on the left. (Adapted from Matsuno

(1966).)
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internal modes in the ocean, however, ½L� � 1:3–3:3
degrees of latitude. Thus, the extent to which each of
the equatorialwaves is confined to be near the Equator
can be determined.

Fundamental differences between the general struc-
tures of the waves can also be seen. For the inertio-
gravity waves, the signal of their divergence is very
strong, while the magnitude of their winds and
geopotential is relatively weak. For the Rossby waves,
on the other hand, their signals in the wind and
geopotential are quite strong, but their divergence is
weak. Obviously, the Rossby waves are much more
rotational in character than the more divergent in-
ertio-gravity waves.

Vertical Structure

As mentioned in the previous section, to obtain
the full three-dimensional flowof each internal normal
mode, one must multiply the solutions from the
shallow water equations (as presented at an instant
in time in Figure 2), by the particular internal mode’s
vertical structure functionGlðzÞ, as in eqn [20] where
GlðzÞ is governed by the vertical structure equation.

u0ðx; y; z; tÞ ¼ u0lðx; y; tÞGlðzÞ

¼ RefûuðyÞ exp½iðkx� ntÞ�g�GlðzÞ ½20�

Figure2 Horizontal structuresof theequatorialwavesolutions to the shallowwater equationsonanequatorialb-plane (eqns [5]–[7]), for
nondimensional zonal wavenumber jknj ¼ 1. All scales and fields have been nondimensionalized by taking the units of time and length as

½T � ¼ ð1=b ffiffiffiffiffiffiffi
ghl

p Þ1=2, and ½L� ¼ ð ffiffiffiffiffiffiffi
ghl

p
=bÞ1=2, respectively. The Equator runs through the center of each diagram. Hatching is for

convergence and shading for divergence, with a 0.6 unit interval between successive levels. Unshaded contours are for geopotential, with

a contour interval of 0.5 units. Negative contours are dashed and the zero contour is omitted. The largest wind vectors are as specified in

thebottom-right corner. (A)–(D) are for then ¼ 1andn ¼ 2 inertio-gravitywaves; (E) and (F) for then ¼ 0waves; (G) for then ¼ 1Rossby

wave; (H) for the Kelvin wave; (I) for the n ¼ 2 Rossby wave; and (J) for the n ¼ 3 Rossby wave.
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Figure 2 Continued
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In a dry atmosphere of constant buoyancy frequen-
cyN, the vertical structure equation may be expressed
as eqn [21].

1

r0

d

dz
r0

dGl

dz

� �
þN2

ghl
Gl ¼ 0 ½21�

This equation is a consequence of the mathematical
separation. Given the basic state density distribution
r0 / expð�z=HsÞ, where Hs is the scale height, solu-
tions to this equation may be sought of the form [22].

Gl ¼ expðz=2HsÞ expð�imzÞ ½22�
Substitution then yields the expression of eqn [23].

m 
 2p
Lz

¼ N2

ghl
� 1

4H2
s

� �1=2

½23�

In eqn [23] Lz is the vertical wavelength of the lth
normal mode, m is the vertical wavenumber, N2 ¼
ðR=HsÞðdT0=dzþ g=CpÞ is the buoyancy frequency
squared, dT0=dz is an average lapse rate, andR andCp

are the gas constant and specific heat for dry air,
respectively.

This equation gives a relationship between the
vertical wavelength of a normal mode in a constantN
atmosphere, and its equivalent depth, hl. In an
atmosphere of this particular configuration, vertical
normal modes are sinusoidal in z, with corrections for
the density variation with height.

In a realistic stratification, however, the modes are
only quasi-sinusoidal, with a local wavelength that is
small in regions of largeN (such as in the stratosphere
and lower troposphere) and larger in regions of lowN
(such as in the upper troposphere). Example values of
the local verticalwavelength computed using eqn [23],
given hl, are presented in Table 1, separately for
stratifications representative of the troposphere and
lower stratosphere.

This information may be used to estimate which
vertical modes would be excited by a particular
energeticweather event. For example, if the equatorial
atmosphere were forced by the latent heating that
occurs in conjunction with atmospheric moist con-
vection, and this heating extended up to the upper
troposphere (14 km), with greatest magnitude around
the mid-troposphere (7 km), then this heating would
project most strongly onto the vertical mode with an
equivalent depth around 200m, i.e., that with an
effective vertical wavelength of about 28 km. Such a
heating, being restricted to the troposphere, however,
would project onto a continuum of the quasi-sinu-
soidal verticalmodes, such that the resulting full three-
dimensional flow must be computed by a summation
of the form [24], where each u0l is calculated from the

shallow water equations with a different hl.

u0ðx; y; z; tÞ ¼
X
l

u0lðx; y; tÞGlðzÞ ½24�

Combining vertical modes in this way allows for
vertical propagation of a wave packet. Then, phase
lines of the wave packet may slope in the vertical
perpendicular to the total wavenumber vector given
by ~kk 
 ðk;mÞ, where we define m to be positive for
upward phase propagation, and negative for down-
ward phase propagation, assuming n is defined to be
always positive. The total phase of the wave is then
given by f ¼ kxþmz� nt.

Further, these verticalwavelength versushl relations
strictly apply only in an atmosphere that does not
allow the continual interaction between thewaves and
moist convection, that is, to free waves in a dry
atmosphere. Theoretical and observational studies
have shown that the presence of interacting convec-
tion tends to slow down the zonal propagation of
waves, or effectively reduce the equivalent depth of a
vertical mode with the same vertical wavelength. For
may purposes, however, this theory for the dry waves
is very useful for interpretation and understanding,
especially in regions such as the stratosphere and over
cool sea-surface temperatures, where moist convec-
tion tends not to occur.

Model Experiment

Many of the theoretical properties of the equatorial
waves, as derived and described in the previous
section, may be conveniently illustrated by showing

Table1 Vertical structure values for freewaves in dry constantN

atmospherea

hl (m)
ffiffiffiffiffiffiffi
ghl

p
(m s� 1) Lz (km)

Hs ¼ 7:3 km; dT0=dz ¼ � 7:0Kkm�1

(Troposphere)

10 9.9 6.0

20 14.0 8.5

50 22.1 13.4

100 31.3 19.2

200 44.3 27.9

500 70.0 47.5

Hs ¼ 6:1 km; dT0=dz ¼ þ 2:5Kkm�1

(Lower stratosphere)

10 9.9 2.6

20 14.0 3.7

50 22.1 5.8

100 31.3 8.3

200 44.3 11.8

500 70.0 18.9

aAs calculated from eqn [23].
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results from a numerical model. Here we show a
numerical experiment in which a multilevel primitive
equation model of the Earth’s atmosphere is forced by
an imposed heating over a period of two days. The
heating is representative of the latent heating from
condensation that occurs within a large complex of
organized convection. In the model, the heating is
switched on slowly over one day, and switched off over
the course of another day. In the vertical, the heating
extends from near the surface up to a level of about
14 km, peaking in the mid-troposphere. At its peak,
the heating forces the equation for potential temper-
ature by an amount equivalent to 10Kday�1, corre-
sponding to a peak precipitation rate of about
40mmday� 1. In the horizontal, the heating spreads
over 30 degrees of latitude, and 40 degrees of
longitude, and is centered on the Equator at the
dateline. The model was integrated forward in time
from an initial state of rest with a realistic tropical
temperature stratification specified globally, i.e., with
tropospheric and stratospheric lapse rates like those
specified in Table 1.

Figure 3 shows a horizontal cross-section of the
model run at a level in the upper troposphere. Given

the symmetric (with respect to the Equator) nature of
the forcing, it can be seen that only equatorial modes
that are symmetric about the Equator are forced. In
particular, a Kelvinwave packet propagates to the east
from the region of forcing, and a packet of Rossby
waves slowly develops to the west. Both of these
packets are made up by waves with a number of
different wavenumbers and frequencies. By the 5th
day of the model run, the energy of the Rossby wave
packet has dispersed such that a new pair of circula-
tion cells have developed not far from the location of
the forcing 4 days prior. In contrast, the main Kelvin
wave packet has shifted, with little dispersion, half
way around the globe by this time.

Figure 4 shows a vertical cross-section of the same
model run. As described in the previous section, a
heating of this vertical extent projects most strongly
onto the vertical mode with equivalent depth of
around 200m. The main Kelvin wave front in the
troposphere, with a vertical half-wavelength filling the
depth of the troposphere, thus propagates to the east at
around40m s�1 (� ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi

9:8�200
p

). The projection in the
vertical, however, is not restricted to this vertical
mode, allowing vertical energy propagation into the
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Figure 3 Horizontal cross-section of model run at a level of 205 hPa. Vectors show the horizontal winds, and contours show the

temperature perturbations.Contour interval is 0.05Kwith the zero contour omitted and negative contours dashed. Themaximumvector is

3.8ms� 1 on day 1, 6.2ms� 1 on day 3, and 6.2ms� 1 on day 5. The red coloring in the first panel shows the imposed heating.
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stratosphere via vertically propagating waves, as
indicated by the tilted contours of temperature there.
In addition, for the same horizontal propagation
speed, the vertical wavelength in the stratosphere
tends to be about half that in the troposphere,
consistent with Table 1. Indeed, the position of the
tropopause at around 100 hPa seems to play an
important role in the appearance of the solution.

Further consistencywith the theory can also be seen,
such as the secondary Kelvin wave front that has
reached about 1201W by day 5 with a vertical
wavelength about three times shorter than the main
front. Its speed is also about three times smaller than
that of themain front.All in all, the development of the
flow in this multilevel model is much like that which
occurs in the real world in response to such an
energetic forcing. In the real world, however, with a
multitude of other processes and events going on at the

same time, equatorial waves are not always so easy to
identify.

Observations and Outlook for the
Future

Conclusive observations of the existence of equatorial
waves in the atmosphere have been made since the
1960s. The first observations were those of Kelvin
waves and mixed Rossby-gravity waves, as identified
by meteorologists studying the winds recorded by
balloon soundings over the tropical Pacific. These
waveswere found to be propagating vertically into the
stratosphere froma tropospheric source,much like the
Kelvin waves in the model experiment of the previous
section. The waves were also found to be important
sources of momentum for the equatorial stratosphere,
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Figure4 Vertical cross-section ofmodel run at the Equator. Vectors show the zonal-vertical components of thewind, where the vertical

component has been scaled by the same amount that the vertical axis has been stretched. The largest vector on day 5 is 8.1ms�1.

Contours show the temperature perturbations with a contour interval of 0.2K. Negative contours are dashed. The red coloring in the first

panel shows the imposed heating at the levels of 0.5, 3.0, 5.5, and 8.0Kday� 1.
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with the Kelvin wave transporting eastward momen-
tum upward, and the mixed Rossby-gravity wave
acting as a source of westward momentum.

A modern-day example of such balloon-sounding
observations of an equatorial wave is presented in
Figure 5. The soundings were taken from the island of
Nauru near the equator in the western Pacific. The
meridional component of thewind, as plotted, shows a
prominent oscillation with a period of around 4–5
days during this time. This oscillation can be identified
to be that of a mixed Rossby-gravity wave due to the
fact that these waves, by the theory, are expected to
have such a period, and have their meridional winds
maximized on the Equator. Inspection of the winds at
nearby stations further reveals that the wave is indeed
westward-propagating. The wave also has downward
phase propagation in the lower stratosphere, and
upward phase propagation in the troposphere. As the
vertical energy propagation for these waves is in the
opposite direction to their phase, this indicates an
upper-tropospheric source for this particular packet,
consistent with the possibility that the wave was
forced by the latent heating of deep convection.

This particular event of strong mixed Rossby-
gravity waves lasted for about two weeks, and was
restricted in its location to the western to central
Pacific. Such events do not occur all the time, andmay
occur at different longitudes at different times. To get
an appreciation of the global occurrence of equatorial
waves in space and time, researchers have used the
technique of space–time Fourier spectral analysis.
Such analysis gives information on the power of a

geophysical field at each wavenumber and frequency,
and is particularly useful for the analysis of equatorial
waves because it can distinguish between power
resulting from eastward and westward propagation.

Figure 6 shows a particular presentation of the
power spectral peaks of an 18-year record of a
satellite-observed proxy for tropicalmoist convection.
The particular proxy for convection is the outgoing
long-wave radiation (OLR), which gives an indication
of the presence of cold cloud-tops that emit relatively
little long-wave radiation. Before computation of the
spectra, the OLR data is decomposed into symmetric
and antisymmetric components about the Equator, to
distinguish between the spectral power that may be
contributed by either symmetric or antisymmetric
equatorial waves (see Figure 2). Once the raw power is
computed, and summed over the latitudes from 15� S
to 15� N, it is divided by an estimate of the red-noise
background power, as presented by the contours in
Figure 6. Spectral regions having a ratio greater than
1.1, that is, with power more that 10% above the
background, are shaded. Also shown are the theoret-
ical dispersion curves of the equatorial waves, as in
Figure 1, except scaled for the three equivalent depths
of 12, 25, and 50m. The match between the spectral
peaks of the observed dataset and the theoretical
dispersion curves is readily apparent.

Researchers have identified the phenomena con-
tributing to these spectral peaks as the ‘convectively
coupled equatorial waves’, since their existence in the
moist convection implies an interaction between the
convection and dynamics. This interaction modifies
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their characteristics from those of the most common
equatorial waves in a dry atmosphere, such that they
effectively occur for lower frequencies, or shallower
equivalent depths. Not all of the equatorial waves
appear as ‘convectively coupled’ signals, such as the
n ¼ 1 eastward inertio-gravity (EIG)wave, that has no
corresponding spectral peak.Why somewaves appear
as convectively coupled signals and others do not is
still not fully understood.Neither is the exact nature of
the interaction between the convection and dynamics
that allows the convectively coupled equatorial waves
to exist for the select range of equivalent depths.
Besides these questions, from the spectra of Figure 6,
the ubiquitous nature of equatorial waves in the
tropical atmosphere is firmly established. Of further
note is the existence of the Madden–Julian oscillation
(MJO) in the spectra, for planetary zonal wavenum-
bers around 1–4 and periods between 30 and 60 days
(see Tropical Meteorology: Intra-seasonal Oscillation
(Madden–Julian Oscillation)). The MJO is unlike the
convectively coupled equatorialwaves in that it occurs
for wavenumbers and frequencies away from the
equatorial wave dispersion curves.

A more detailed view of observed equatorial waves
may be obtained by compositingmany observations to
produce a time-varying image of a typical wave event.
This can be conveniently done by using observations
that have been input into a global numerical weather
prediction model and output onto a grid. Then,
regressions can be made between all of the global

atmospheric data and a time-series that varies con-
sistently with the passage of a particular wave. An
example of such a composite for the convectively
coupled n ¼ 1 equatorial Rossby wave is given in
Figure 7. This figure shows the typical lower-tropo-
spheric winds of a Rossby wave over a sequence of 20
days, together with the typical signal in the convec-
tion, as indicated by the OLR. In the first panel,
suppressed convection is occurring to the north and
south-east of Papua New Guinea in conjunction with
equatorward flow. Ten days later the Rossby gyres
have moved to the west about half a wavelength such
that there is now enhanced cloud and convection near
Papua New Guinea. After a further 10 days (last
panel), the Rossby gyres and their associated OLR
anomalies have moved further westward, yet the
energy of the whole wave packet is still in much the
same region as it was 20 days previously, consistent
with the dispersion of a theoretical equatorial Rossby
wave. Obviously, these waves play an important role
in the modulation of the large-scale tropical weather.

Equatorial waves have also been observed to mod-
ulate the occurrence of tropical cyclones, or to even
develop into tropical cyclones late in their life cycle.
For example, the cyclonic circulation of the Rossby
wave to the north of Papua NewGuinea in the second
panel of Figure 7may develop into an intense tropical
cyclone as it moves toward the Phillipines. The intense
tropical cyclone may then act as the energy source for
new packets of equatorial waves.

Figure 6 A presentation of the wavenumber–frequency spectral peaks of a long record of satellite-observed outgoing long-wave

radiation, separately for the (A) antisymmetric and (B) symmetric component of the OLR with respect to the Equator. To represent the

peaks, the contours show a ratio of the actual power with an estimate of the red-noise background power. A ratio of greater than 1.1 is a

statistically significant spectral (95% level) spectral peak. Also shown are the dispersion curves for the equatorial waves for equivalent

depths of 12, 25, and 50m. (From Wheeler M and Kiladis GN (1999).)
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For the problem of weather prediction, equatorial
waves have time scales that make them quite relevant
for the day-to-day andweek-to-week prediction of the
weather. Yet the knowledge of equatorial waves is
currently little used by forecasters in the tropics. Part
of the reason for this lack of use is the difficulty of
observing the occurrence of equatorial waves in real
time. As they each occur for a select range of
frequencies, some kind of digital filter must normally
be used to extract their signals from a dataset. Such
filters, however, do not work well up to the end of a
dataset. Often, the existence of a wave packet of an
equatorial wave may not be recognized until the wave
packet has ended.

A further difficulty for weather prediction in rela-
tion to the equatorial waves is that numerical weather

prediction models tend not to be able to model
the correct interaction between the convection
and dynamics that is often required to produce
them, especially for the convectively coupled waves
of Figure 6. Future work on equatorial waves will in
part have to look at the interaction between con-
vection and dynamics that is parametrized in
models. If models can start to simulate the waves
better, the future outlook for the use of the know-
ledge of equatorial waves for weather forecasting is
promising.

See also

Dynamic Meteorology: Primitive Equations; Waves.
Kelvin Waves. Parameterization of Physical

Figure 7 Typical horizontal structure of an event of a convectively coupled n ¼ 1 Rossby wave over a sequence spanning 21 days.

Shading/cross-hatching show the negative/positive OLR anomalies, indicating enhanced/suppressed convection. Contours are

streamfunction anomalies at the 850hPa level, indicating the lower-level rotational winds. Vectors are the 850 hPawind anomalies of the

wave. (From Wheeler et al. (2000).)
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Processes: Gravity Wave Fluxes. Rossby Waves. Sta-
tionary Waves (Orographic and Thermally Forced).
Tropical Meteorology: Intra-seasonal Oscillation (Mad-
den–Julian Oscillation).
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Introduction

One of the features that is most readily identified with
the tropical atmosphere is the Intertropical Conver-
gence Zone (ITCZ). The ITCZ lies in the equatorial
trough, a permanent low-pressure feature that marks
the meteorological Equator where surface trade
winds, laden with heat and moisture from surface
evaporation and sensible heating, converge to form a
zone of increased mean convection, cloudiness, and
precipitation. The latent heat released in the convec-
tive cloud systems of the ITCZ is a critical component
of the atmospheric energy balance, and the enhanced
cloudiness associated with these cloud systems pro-
vides an important contribution to the planetary
albedo. The fluxes of heat, moisture, momentum,
and radiation between the atmosphere and the surface
differ dramatically between the ITCZ region and the
regions to the north and south of the ITCZ. Thus the
position, structure, andmigration of the ITCZ play an
important role in determining the characteristics of
ocean–atmosphere and land–atmosphere interactions
on a local scale, the circulation of the tropical oceans
on a basin scale, and a number of features of the
Earth’s climate on a global scale.

Mean Structure

On any given day in the tropics, there are usually a
number of deep convective cloud systems that appear

to be somewhat randomly distributed across the
equatorial region. Figure 1A shows a satellite cloud
image constructed from a number of geostationary
and polar orbiting satellites for 7 September 1991.
Bright areas denote cold temperatures, and thus in this
case indicate clouds whose tops are at or near the level
of the tropopause, e.g., deep convective or cirrus
clouds. Dark areas denote warm temperatures, which
in this case implies clear skies. Evident throughout the
tropical region, and aligned roughly parallel to the
Equator, are a number of cloud systems. Some of these
systems exhibit horizontal scales on the order of a few
hundred kilometers or less. Others, such as the large
system in the Indian Ocean, have horizontal dimen-
sions on the order of about 2500 km. The vast
difference in horizontal scales of these cloud systems
can arise from a number of factors. Typically, themore
mature a convective system is, the larger its horizontal
extent. This is mostly due to the development of high
cirrus clouds in the outflow region of convective
systems. In contrast to deep convective ‘towers’,which
typically have horizontal scales on the order of
1–10 km and when found in isolation usually indicate
young or developing convective systems, cirrus clouds
can appear to extend over thousands of kilometers and
encompass tens or hundreds of convective towers
simultaneously. Thus the sizes of the various convec-
tive systems shown in Figure 1A can be influenced by
their maturity and their abundance in any one area,
and these factors in turn influence the development
of what appears as a common cirrus cloud. Further,
while most cloud systems in the tropics arise from
simple convective instability, probably in conjunction
with synoptic wavelike disturbances inherent to the
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equatorial region, the organization of some systems
can be influenced by low-frequency phenomena that
can increase their spatial extent. For example, the
larger systems in the Indian andwestern Pacific Ocean
may be influenced by the tropical Intraseasonal
Oscillation or simply be larger owing to the difference
in climatological conditions (e.g., sea surface temper-
ature) between the Eastern and Western hemispheres,
which is discussed below.

Other than the loose east–west orientation of the
cloud systems in Figure 1A, there is no obvious
systematic preference for the locations of these
systems. Only upon averaging such observations
over a time that is relatively long (order of months)
compared to the lifetimes of these systems (order of
hours–days) does a robust spatial preference become
evident. Figure 1B shows a time-averaged satellite
cloud image, constructed from daily cloud images

such as the one shown in Figure 1A, from 1 September
to 31 November 1991. From this image, it is more
apparent that for a given season particular regions of
the tropics are favored for the development of tropical
convective systems. The spatial structure of the deep
convective cloud pattern shown in Figure 1B exhibits
the spatial pattern roughly identifiedwith the ITCZ, at
least for the Northern Hemisphere fall season. Thus
while the cloud (or rainfall) pattern associatedwith the
ITCZ is usually thought of as a continuous band of
clouds (or rain), at any given time this ‘band’ contains
only a few disparate cloud systems. Figure 2 shows the
long-term mean rainfall pattern. The band(s) of high
rainfall represent the mean, or archetypal, ITCZ
spatial structure. Overall, this structure is roughly
aligned with the Equator and it exhibits a significant
amount of zonal symmetry relative to the rainfall
pattern in the mid-latitudes. Apart from this zonal
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Figure 1 Cloud images constructed from 11mm radiances measured from a number of geostationary and polar-orbiting weather

satellites. (A) Instantaneous cloud field for 00 GMT 7 September 1991. (B) Time-mean 00 GMT cloud field for September through

November 1991. Radiance values have been converted to equivalent blackbody temperature using the Stefan–Boltzmann law. (Global

Cloud Imagery courtesy of M. Salby, University of Colorado.)
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symmetry, the ITCZ rainfall distribution displays a
fair amount of longitudinal variability as well. In the
Atlantic and eastern Pacific Oceans, it is made up of
very narrow, intense regions of rainfall that tend to lie
just north of the Equator. Over the South American
and African continents, the mean rainfall distribution
has a considerably larger latitudinal extent and tends
to lie directly over the Equator.Over the eastern Indian
and western Pacific Oceans, the rainfall distribution is
both broad in latitude and intense in magnitude. Two
of themore notable zonal asymmetries in the ITCZ are
the weak rainfall over the western Indian Ocean and
the south-east extension of the ITCZ over the central
Pacific Ocean. The latter, referred to as the South
Pacific Convergence Zone (SPCZ), leads to an area of
intense rainfall on either side of the Equator with a
relatively dry region in between. Such a structure is
often referred to as a ‘double ITCZ’.

The time-mean spatial structure of the ITCZ
described above can be better understood by examin-
ing the time-mean sea surface temperature (SST),
which is shown in Figure 3. Because on average the
equatorial region receives the most solar irradiance,
this region also tends to have the highest SSTs. While
this tendency for very warm SST (i.e., greater than
251C) is mostly uniform with longitude, there are
some deviations. These deviations are produced by a
number of factors, including ocean basin geometry,
ocean circulation properties (equatorial dynamics in
particular) and the coupled interaction with the
atmosphere, including the ITCZ itself. The relatively
warmwater of the equatorial region heats the air in the
lower atmosphere, making it less dense and more
buoyant relative to the air aloft. This buoyancy forcing
leads to rising motion over the equatorial region. As

the moist near-surface air rises, it cools adiabatically
and begins to undergo condensation, which releases
the latent heat contained in the water vapor and
produces rainfall at the surface. This latent heating
enhances the buoyancy and associated upwardmotion
of the air even further, which in turn enhances the
adiabatic cooling, water vapor condensation, and
surface rainfall. This process continues until nearly all
the water vapor condenses out of the parcel and/or the
parcel is no longer buoyant with respect to its
environment. In either case, this usually happens
when the parcel reaches the inversion associated
with the tropopause, whereupon the air begins to
move away from the Equator.

This upper level poleward moving air undergoes
cooling through radiative heat loss, causing it to lose
buoyancy and sink in the subtropical regions. Figure 4
shows the long-termmean outgoing thermal radiation
leaving the top of the atmosphere. The regions of large
radiative heat loss lie on the poleward edges of the
regions of high rainfall (i.e. Figure 2) and extend into
the subtropics. Upon reaching the surface, this sinking
air is relatively dry but gainsmoisture again via surface
evaporation as it converges towards the Equator.
Figures 5 and 6 show the long-term mean surface
wind and evaporation fields. The surface wind field
shows that overmost of the tropical regions surface air
tends to converge into the areas of high rainfall. The
evaporation field indicates that as this air converges
toward these equatorial regions, it gains moisture
from the ocean, particularly in the areas of the
trade winds where the wind speeds are higher. The
combination of the above processes leads to a deep
meridional circulation cell, extending over the depth
of the troposphere, with air converging toward the
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Figure 2 Long-term mean (1979–1996) rainfall rate constructed from a combination of satellite-derived products and in situ

observations. (Source: National Oceanographic and Atmospheric Administration’s (NOAA) Climate Prediction Center (CPC) Merged

Analysis of Precipitation (CMAP).)
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Equator at low levels, rising in the equatorial regions,
diverging at upper levels, and sinking in the subtropics.
The zonal mean of this circulation pattern is typically
referred to as the ‘Hadley circulation’.

From the physical description above, it is evident
that a close association exists between the spatial
structure of the warmer SSTs and the rainfall pattern
associatedwith the ITCZ.For example,Figures2 and3
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Figure 3 Long-termmean (1968–1996) sea surface temperature constructed from a combination of satellite-derived values and in situ

observations. (Source: NOAA’s National Environmental Satellite, Data, and Information Service.)
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show that the narrow bands of rainfall over the
Atlantic and eastern Pacific correspond well to
the relatively warm bands of warm water north of
the Equator in these regions. Similarly, the very broad
area of warm water in the Indian and western Pacific
Ocean corresponds well to the more widespread area
of intense rainfall of the ITCZ in these regions. In
addition, the discussion above highlights the complex
makeup of the water and energy cycles in the tropics
and the role of the ITCZ within these cycles. The
schematic diagram in Figure 7 highlights important
aspects of these water and energy cycles and illustrates
how the physical processes associated with the ITCZ

described above fit together in an idealized latitude–
height diagram. The downward arrows at the top of
the atmosphere depict the incoming solar energy from
the sun and the fact that there is a reduction of solar
energy as onemoves poleward.As Figure 1A indicates,
at any given time most of the tropics exhibits clear
skies. This allows a large portion of this solar energy to
reach the surface and induce a pole-to-equator SST
gradient, with thewarmest SSTs in the near-equatorial
region. The upward arrows at the surface of the ocean
depict the ocean-to-atmosphere energy exchange,
which takes place primarily through the transfer of
heat and moisture from the ocean to the near-surface
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analyses using a numerical weather prediction model. (Source: National Centers for Environmental Prediction/National Center for
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Figure7 Schematic depiction of the ITCZ in the context of thewater and energy cycles of the tropics. The downward arrowsat the top of

the atmosphere depict the incoming solar energy from the Sun. The upward arrows leaving the surface of the ocean depict the transfer of

heat andmoisture from the ocean to the near-surface air via sensible heat and latent (i.e., evaporative) heat fluxes. The upward arrows at

the top of the atmosphere denote this energy being transferred back to space via radiative heat loss.
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air via sensible heat and latent (i.e., evaporative) heat
fluxes. As the air rises over the warmest water, a
convergent circulation is induced at lower levels, with
the upper levels exhibiting divergence. The rising air
experiences adiabatic cooling, which leads to conden-
sation of the moisture and the release of the stored
latent heat. The former falls back to the surface as
precipitation while the latter heats the air, leading to a
further enhancement of the vertical motion. Now, the
heat that was originally derived from incoming solar
energy deposited in the ocean resides in the atmos-
phere. The upward arrows at the top of the atmos-
phere denote transfer of this energy back to space via
radiative heat loss as the air diverges away from the
Equator and sinks back to the surface.

Seasonal Variations

Over the course of the annual cycle, seasonal changes
occurring in the ITCZ modify the mean structure
depicted inFigure 2. In general, the entire line-oriented
convection band marches north in the Northern
Hemisphere spring and summer, and south in the
Southern Hemisphere spring and summer. The differ-
ences in the amplitudes and phases of the ITCZ
excursions at different longitudes are dictated in part
by the different characteristics of the surface (i.e., land
or ocean) and the local atmospheric circulation
pattern. The ITCZ over land (e.g., Africa and South
America) follows the annual march of the Sun, while
the migration of the ITCZ over extended ocean
regions lags slightly behind by a month or two. This
time lag is most apparent in the eastern Pacific and the
Atlantic Oceans, where the ITCZ is farthest south in
the Northern Hemisphere spring and farthest north in
the Northern Hemisphere fall. The origin of this time
lag is primarily the large thermal inertia of the ocean
mixed-layer compared to that of the land surface but
also involves complex dynamical interactions that
develop between the ocean and atmosphere.

While most of the seasonal changes in the ITCZ are
associated with latitudinal migration, there are other
significant structural changes. One of the more signif-
icant of these is over SouthAmericawhere large spatial
differences exist between the ‘ITCZs’ of the Northern
and Southern Hemisphere summers. During the
Southern Hemisphere summer, the rainy season en-
compasses nearly the entire tropical area of the South
American continent. This produces a latitudinally and
longitudinally broad ITCZ. In the Northern Hemi-
sphere summer, the ITCZ overlies the oceanic region
north of the continent and has a structure more
consistentwith its oceanic counterparts to the east and
west. Another dramatic seasonal change associated
with the ITCZ occurs in the Indian Ocean region

during the Asian summer monsoon. As the monsoon
circulation develops and intensifies, the convection
zone splits, with a very intense area of rainfall
occurring over the Indian subcontinent and a weaker
rainfall maximum remaining in the equatorial region.
A similar intensification of rainfall occurs in the
Southern Hemisphere summer over northern Austral-
ia; however in this case the equatorial component
tends to be suppressed. During this same period, the
convergence zones over Africa and the Indian Ocean
becomemore continuous owing to the reduced coastal
ocean upwelling off the east African coast. Other
modest seasonal deviations occur in the eastern Pacific
during the northern spring, when the ITCZ occasion-
ally separates into two zones of convection straddling
the Equator. This ‘double ITCZ’ results from a
relaxation of the south-east tradewinds,which greatly
diminishes the equatorial and nearby coastal ocean
upwelling, leaving seasonably warm surface temper-
atures south of the Equator. In a related manner, the
two branches of convergence in the central Pacific
oscillate in strength during the year with the southern
and northern branches intensifying during their re-
spective summer season.

To help illustrate and quantify some of the seasonal
changes in the ITCZ described above, Figure 8 shows
time–latitude diagrams of rainfall over the course of
the calendar year for a number of distinct tropical
regimes. For example, Figure 8A shows that the
annual cycle of the ITCZ over Africa exhibits a
migration pattern that has a nearly sinusoidal nature.
In this region, the ITCZ appears to closely follow the
solar cycle of surface heating, with a lag of about a
month. It has a fairly even intensity throughout the
year (B5mm day� 1) and migrates from about 151 S
to 101N. The difference in poleward extremes is
associated with the Sahara Desert, the dryness of
which inhibits the northern migration of the ITCZ. In
contrast to this nearly sinusoidal case, all other regions
(Figures 8B–8G) show an annual cycle that has
seasonal dependences in intensity and structure, and/
or a larger phase lag relative to the solar cycle of
surface heating. For example, the ITCZ migrations
over the Indian (Figure 8B) andwestern Pacific (Figure
8C) Oceans show strong rainfall intensification asso-
ciated with the summer monsoons. In particular, the
Asian summer monsoon produces a significant en-
hancement to the rainfall in the Northern Hemisphere
summer months over south-east Asia and, as men-
tioned above, produces two bands of rainfall in the
Indian Ocean region during this period. The annual
cycle of the ITCZ in these two regions lags approx-
imately 2 months behind the solar heating cycle.

The eastern Pacific (Figure 8E) and Atlantic
(Figure 8G) Oceans have very similar annual cycles.
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As suggested earlier by Figures 1B and 2, the ITCZ in
these regions remains primarily in the Northern
Hemisphere throughout the year, with some weak
rainfall (B4–5mmday� 1) occurring south of the
Equator in the Northern Hemisphere spring. During
this time of year, warm water (B271C or higher)
occurs on both sides of the Equator in this region and
the ITCZ, in its southernmost position, is split by a
zone of equatorial ocean upwelling (i.e., cool equato-

rial SSTs). The phase of the annual cycle in these
regions lags behind the surface solar heating cycle by
approximately 2–3 months, and each produces the
most intense ITCZ in the Northern Hemisphere fall.
During this season, the surface water associated with
the equatorial countercurrents iswarmest and the low-
level trade wind convergence is strongest.

The annual cycle of the central Pacific and South
America show very different characteristics from
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Figure 8 Time–latitude diagrams of the annual cycle of the ITCZ, in terms of rainfall, zonally averaged over eight different longitude

sectors. (A) Africa, 10–401E; (B) Indian, 60–1001E; (C) western Pacific, 110–1501E; (D) central Pacific, 1601E–1601W; (E) eastern

Pacific, 100–1401W; (F) South America, 45–751W; (G) Atlantic, 10–401W; (H) global, 0–3601E. Mean annual cycles were computed

from the period 1979 to 1996. (Source: National Oceanographic and Atmospheric Administration’s (NOAA) Climate Prediction Center

(CPC) Merged Analysis of Precipitation (CMAP).)
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those described above. As illustrated earlier in Figure
2, the ITCZ in the central Pacific is composed of
northern and southern convergence zones straddling
the Equator. While this large-scale ‘double’ conver-
gence zone remains intact during the course of the
annual cycle, the intensity of the summer hemisphere
branch tends to dominate. The annual cycle of the
ITCZover SouthAmerica displays the least amount of
symmetry with respect to north–south migration and
ITCZ intensity. The surface underlying the ITCZ is
largely responsible for this asymmetry, as mentioned
above. In this region, the phase of the ITCZ is locked to
the annual cycle during its northward propagation.
However, after having reached the oceanic region
north of South America, the convection diminishes
slightly, and the cycle appears to lag slightly until the
rainy season begins again over the Amazon Basin in
November–December. The annual cycle of the global
ITCZ has a modest resemblance to a sinusoidal
pattern, with the intensity of the zonally averaged
mean rainfall being strongest during the Northern
Hemisphere summer and fall (B7mmday�1), and
weakest during the equinoxes (B5mmday�1).

Interannual Fluctuations

Apart from the regular seasonal variations, the ITCZ
undergoes interannual fluctuations in its position and
intensity. Figure 9 illustrates the range of interannual
variability exhibited by the ITCZover the period 1979
to 1998 for three of the longitude sectors discussed in
the previous section. This figure shows time–latitude
diagrams of the seasonal anomalies of rainfall from the
mean annual cycles presented in Figure 8. Note that
each is plotted using the same color scale. Immediately
evident is the fact that the interannual anomalies in the
ITCZ position and intensity are weakest over Africa
and strongest for the ITCZ over the central Pacific
Ocean. Typical seasonal rainfall anomalies for the
ITCZ over Africa are about 70.5mmday� 1 and
range up to about 71.5mmday� 1 in the more
extreme events. Depending on the location and inten-
sity of the mean ITCZ rainfall band, these values
represent variations on the order of 10–25% of the
mean values. Overall these anomalies illustrate that
this region undergoes relatively weak, low-frequency
rainfall variations, with the early and late 1980s being
relatively wetter than normal and the late 1970s and
early 1990s being relatively drier than normal. Within
this low-frequency variability are periods when the
ITCZ exhibits short-lived variability in its intensity
and latitude. For example, during the 1981–1982
winter the ITCZ extended anomalously southward,
while in the 1982–1983 winter the rainfall associated
with the ITCZ was about 25% stronger than normal.

During the fall of 1986 and summer of 1987, the ITCZ
extended anomalously northward, bringing rain to the
normally dry SaharaDesert. Another notable anomaly
in the ITCZ over Africa occurred in the winter of
1991–1992when the ITCZwas particularlyweak and
did not migrate as far south as normal.

The time–latitude rainfall anomaly diagram for the
Indian Ocean region (Figure 9B) shows variability
quite different than that exhibited by the ITCZ over
Africa. First, the meridional extent of the anomalous
excursions is much greater, extending to at least 301.
For the most part, this is simply related to the much
broader latitudinal extent of themean ITCZpattern in
this region (i.e., Figures 2 and 8). Second, the intensity
of the fluctuations is slightly greater, ranging up to
about73mmday� 1. However, given the largermean
rainfall values for this region, this anomaly range
represents deviations from the annual cycle on the
order of 25%, which is similar to the case for Africa.
Third, evenwith the seasonal smoothing applied to the
data, the ITCZ in this region exhibits considerably
more variability at shorter time scales than, for
example, the ITCZ over Africa. This shorter-term
variability is partly attributable to the Intraseasonal
Oscillation that has been found to prevail most
strongly over the Indian and western Pacific Oceans.
Given the distribution of land and people within this
sector, the most consequential of the rainfall anoma-
lies occur in the Northern Hemisphere summer, north
of about 151N. From Figure 7, it can be seen that the
maximum rainfall associated with the Indian summer
monsoon occurs in July. Figure 8B illustrates some
aspects of the variability associated with the timing
and strength of the Asian monsoon as it relates to the
ITCZ. For example, in 1980, the rainfall associated
with the northward migration of the ITCZ and the
development of the summermonsoonwas particularly
intense, while the 1981 summer monsoon appears to
have come slightly earlier than normal. In contrast, the
summer monsoons of 1983, 1987, and 1989 are
examples of the monsoon-related ITCZ rainfall being
a little weaker than normal. It is important to
emphasize that even though these anomalies
(B1mm day�1) represent only about 10% of the
total rainfall that typically occurs during themonsoon
(Figure 8B), they represent very important departures
for the people and industries (e.g., agriculture) that are
affected by them.

For the case of the central Pacific (Figure 9C), the
anomalous ITCZ rainfall is dominated by negative
and positive anomalies on or near the Equator. Note
that these values are significantly larger than the ITCZ
rainfall anomalies occurring in either of the other
longitude sectors discussed above (and in those longi-
tude sectors not discussed). In this region, the zonally
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averaged rainfall anomalies range up to at least
77mmday�1. In some instances, particularly for
the large anomalies right on the Equator, these values
can exceed 100% of the mean values associated with
the annual cycle (Figure 7D). These large variations in
the position and intensity of the ITCZ in this region are
associated with the climate phenomena known as the
El Niño–Southern Oscillation (ENSO). In warm
phases of ENSO (i.e., El Niño), SST in the central
and eastern equatorial Pacific Ocean can become
anomalously warm by about 1–31C, while in cold
phases (i.e., La Niña) this region becomes anomalous-
ly cool by a similar magnitude. This has a dramatic
effect on the organization of tropical convection in this
region as well as in regions remote from the central
Pacific. Evident from Figure 9C are the large positive
rainfall anomalies associated with the strong El Niño
of 1982–1983, the moderate El Niño of 1986–1987,
and the prolonged and somewhatweaker ElNiño(s) of

the early 1990s. Typically, these events cause the two
convergence zones that are located slightly away from
the Equator in the central Pacific tomerge into a single
zone of convection and rainfall centered on or very
near the Equator. The large negative equatorial rain-
fall anomalies are associated with the La Niñas of
1984, 1988–1989, and 1995–1996. Central Pacific
rainfall anomalies associated with La Niña typically
cause the relatively dry equatorial zone near the
dateline (Figure 2) to become even drier and to extend
farther west than normal. It is important to point out
that these central Pacific ENSO-related ITCZ rainfall
anomalies do not occur in isolation. Typically, these
anomalies induce anomalies of the opposite sense and
a somewhat weaker magnitude in the western Pacific
sector, and in some cases the Indian Ocean and South
American sectors as well. In fact, these ENSO-related
rainfall anomalies are so large that they are the only
significant departure that appears to occur in the
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Figure 9 Time–latitude diagrams of the anomalies in rainfall associated with the ITCZ zonally averaged over three different longitude
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global mean ITCZ (not shown). Anomalies in the
global mean ITCZ rainfall are typically in phase with
the anomalies in the central and eastern Pacific Ocean
and have magnitudes that range up to about 1mm
day� 1. However, with respect to quantifying the size
of this climate signal in the context of the ITCZ, it is
important to point out that accurate measurements of
rainfall over the oceanic regions is likely to be possible
only with satellite retrievals and this is still an area of
active research.

See also

Tropical Meteorology: Equatorial Waves; Intra-season-
al Oscillation (Madden–Julian Oscillation); Tropical Cli-
mates.
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Introduction

The global TradeWinds of theNorthern and Southern
Hemispheres meet near the Equator in the intertrop-
ical convergence zone (ITCZ). Here, the surface air
rises in large convective storms over preferred regions
of South America, Africa, and theMalay Archipelago,
and then moves north and south and east and west at
upper levels. The circulations in the north and south
directions form the Hadley cells and those in the east
and west directions which are centered on the Malay
Archipelago form theWalker cells. The first are named
after George Hadley, who described the circulation
from tropics to midlatitudes in the 1700s. TheWalker
cells are named after Sir Gilbert Walker, a British
climatologist. Walker wrote in the 1920s and 1930s
about an east to west oscillation in pressure between
the Indian/West Pacific Oceans and the Southeast
Pacific Ocean. It was later learned that this pressure
oscillation was accompanied by a longitudinal shift in
the main region of upward motion in the east–west
circulation cells. They were named the Walker cells.
The pressure oscillation that Walker studied has a
dominant time scale on the order of 2–7 years and is
now called the ‘Southern Oscillation’, a part of the El
Niño Southern Oscillation (ENSO). However, circu-
lation in the Walker cells changes on all time scales,
and here we describe a variation on an intraseasonal
time scale.

Figure 1 captures the rudimentary features of
intraseasonal modifications of the average Walker
circulation. Each panel represents a snapshot taken in
the equatorial plane about 7–15 days apart with time
increasing from top to bottom. Note that convective
areas indicated by the cartoon clouds and east–west
circulation cells indicated by the streamlines move
from the Indian Ocean to the Pacific Ocean. The
clouds aremeant to represent large areas of convection
on the order of a few thousand kilometers across. All
the features shown in Figure 1 represent anomalies
from the time-averaged tropical circulation. As they
move eastward, theymodify the clouds in the ITCZon
time scales shorter than a season but longer than a
couple of weeks. The average period of the phenom-
enon is near 45 days. As a result it has been referred to
as 40–50 day, 30–60 day oscillation, and intraseasonal
oscillation after its typical time scale, and the Mad-
den–Julian oscillation (MJO) after the authors who
described it in the 1970s. Even though its existence has
been known since the 1970s, much about it is not fully
understood. Here, known features and hypotheses
about the oscillation are presented.

Description of the Oscillation

Figure 1A is meant to convey relatively low surface
pressure accompanied by a convergence ofmoist, low-
level air in the Indian Ocean which results in building
convection. The tropopause height rises above the
convection. The tropopause is the top of the lowest
layer of the atmosphere called the troposphere. Our
weather is confined to the troposphere, which near the
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equator is about 18 km thick. To the east, over the
Central Pacific, there is relatively high surface pres-
sure, sinking motion, and suppressed convection. At
this time the circulation in theWalker cell is increasing
with its center of rising motion shifted west of its
average position over the Malay Archipelago.

The low-pressure anomalies then move and spread
eastward. The area of enhanced large-scale convection
and the deeper troposphere also moves eastward at
about 5m s�1 to a place in the western Pacific, close to
its time-average position (Figure 1B). Then, the
Walker cell circulation reaches a relative maximum.
Eventually (Figure 1C), risingmotions and convection
weaken over the colder equatorial waters of the
Central Pacific, and high pressure, sinking motion,
and suppressed convection reside over the Indian
Ocean. The tropopause height falls there too.

After the convection weakens and disappears over
the Central Pacific, a wavelike disturbance often
continues eastward in the upper troposphere at a
faster (10–20m s�1) speed. It can propagate the full
circumference of the Earth. The oscillation is not so
easily detected in the lower troposphere from about
901W eastward to 201E, but related convection
sometimes can be seen over South America and the
Atlantic accompanying the upper-level divergence as
indicated in Figure 1D. At this time, there is relatively
suppressed convection over the Indian Ocean and
Pacific Ocean. Although the oscillation is irregular, it
is present at least half the time. It tends to be more
active during northern winters.

The accompanying large-scale convective region
containsmany tall clouds that can be readily identified
in infrared satellite measurements because of their
very cold tops. Figure 2 shows three strong oscillations
during the southern summer of 1987–88. They are
reflected in the cold clouds over the Indian Ocean
during early December, mid-January, andmid-March.
The clouds then progress to the mid-Pacific by late
December, late February, and mid-April, respectively.
Interestingly, satellite data with higher spatial resolu-
tion than that of Figure 2 show that within the
eastward-moving large-scale cloudy areas are organ-
ized convective cloud clusters of only a few hundred
kilometers across. These smaller-scale features actu-
ally move westward.

Besides the eastward movement of the cloudy
regions along the Equator shown in Figures 1 and 2,
there sometimes is a polewardmovement of alternate-
ly cloudy and fairweather. This polewardmovement is
most marked over India during the summer monsoon
there. The fair weather regions often interrupt the
normal rainy weather, or ‘active monsoon’, and cause
‘breaks’ in the monsoon. Locally, precipitation can
change from zero to more than 30mmday�1 between
break and active phases. Another common variation is
eastward propagation to about 1001E longitude and
then north-eastward or south-eastward movement.
The former is most common in northern summer and
the latter in southern summer, reflecting a connection
with clouds of the ITCZ which are typically displaced
into the summer hemisphere.

A Partial Theoretical Model

The large-scale convective area associated with an
oscillation produces considerable heat as rising moist
air condenses to form cloud droplets. Figure 3 shows
the theoretically expected response to such heating at
the Equator. To the east, winds blow from the east in
the lower troposphere into the heating region with
lowest pressure along the Equator, and back to the east
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Figure 1 Schematic of the approximate structure of the oscilla-

tion in the equatorial plane. The situations summarized in each

panel are 7–15 days apart with time increasing downward. Cartoon

clouds indicate large regions of increased convection. Streamlines

show the east–west circulation with convergence into, and diver-

gence out of, the convective areas in the lower and upper

troposphere, respectively. The wavy line at the top represents

the tropopause and that at the bottom represents changing sea-

level pressure. Shading represents lower than normal pressure.

(Adapted with permission from Madden RA and Julian PR (1972)

Journal of the Atmospheric Sciences 29: 1109–1123, Figure 16.)
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in the upper troposphere with highest pressure along
the Equator. The response to the west is characterized
by rotating eddies on either side of the Equator. They
rotate cyclonically (clockwise in the Southern Hemi-
sphere and counterclockwise in the Northern Hemi-
sphere) about low pressure in the lower troposphere,
and anticyclonically about high pressure in the upper
troposphere. In addition, along the Equator, lower
tropospheric winds blow fromwest to east, and upper
tropospheric winds from east towest, in and out of the
heating region.

The east side response is a Kelvin wave named after
Lord Kelvin, who studied water waves along a vertical
side boundary. In this case, the Equator, where the

vertical component of the Earth’s rotation vector
changes sign, serves as the vertical side boundary. The
west side response are Rossby waves whose existence
and behavior are due to the latitudinal variation of
that same vertical component of the Earth’s rotation
vector. C-G Rossby was the first to clearly isolate the
dynamics of these waves. Converging low tropospher-
ic winds of the Kelvin and Rossby waves rise in the
cumulonimbus clouds of the heating region, and
diverge in the upper troposphere.

The observed structure of the oscillation, during its
passage from the IndianOcean to the Pacific Ocean, is
similar in many respects to the forced Kelvin–Rossby
waves in Figure 3. It may be that convection building
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in the equatorial Indian Ocean forces the Kelvin–
Rossby waves of Figure 3. The entire complex moves
eastward, and upon reaching the cold water of the
Central Pacific can no longer support the convection.
A free Kelvin wave then continues eastward in the
upper troposphere. This scenariowould not, however,
explain the eastward movement of the large-scale
convective region, the typical time scale of the oscil-
lation, or why it organizes into such a large spatial
scale. These important characteristics are not yet fully
understood.

Effects of the Oscillation

The oscillation is important for the weather of the
Tropics. It clearly modulates equatorial precipitation
and that of the Indian summer monsoon. Related
modulations of the Australian monsoon of the South-
ernHemisphere summer and the timing of its onset are
often evident. Also, during northern summer, when
upper tropospheric winds of the oscillation are
diverging over the eastern Pacific andAtlanticOceans,
the likelihood of hurricane formation there, and in the
Caribbean Sea, is three to four times greater thanwhen
upper tropospheric winds are converging. The former
corresponds approximately to the time schematically
depicted by Figure 1D and the latter by Figure 1B. In
the western Pacific, both Northern and Southern
Hemisphere typhoons are also more frequent in their
respective summers during the time depicted inFigures
1B and 1C: again with accompanying upper tropo-
spheric divergence of the oscillation in that area. In

addition, it is possible that the oscillation plays a role
in initiating and ending extreme episodes of the much
larger amplitude and slower changing ENSO.

Oscillations are seen in global variables as well.
There are easily identified variations in the relative
angular momentum of the atmosphere (RAM), which
is the globally integrated west-to-east wind, on the
order of 10% of the total RAM. There are also
detectable changes in the rotation rate of the Earth and
corresponding length of day changes of about 0.1ms
(1ms5 0.001 s). This most interesting circumstance
results from the fact that the total angular momentum
of the solidEarth, atmosphere, andocean remains very
nearly constant. As RAM changes during the oscilla-
tion, momentum is exchanged with the solid Earth
through friction and pressure differences across
mountains maintaining constant total angular mo-
mentum of the entire system.

In addition, regional effects outside of the Tropics
are beginning to emerge. Some evidence indicates that
blocking (persistent high-pressure areas) off the west
coasts of North and South America is affected by the
oscillation. Similarly, precipitation in these two con-
tinents may be related. Because of the relatively long
time scale of the oscillation, further understanding of
its effects may lead to better long-range weather
forecasts for millions of people living there.

See also

Monsoon: Dynamical Theory; ENSO–Monsoon Interac-
tions; Overview; Prediction. Tropical Meteorology:

Figure3 Theoretical response of winds in the lower and upper troposphere (indicated by the black arrows) to heating. The heating zone

is indicated by the yellow ellipses and vertical dotted lines. The lowest relative pressure is within the red line in the lower troposphere, and

the highest relative pressure is within the blue line in the upper troposphere.
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Introduction

For the understanding of the global climate system,
processes in the tropics merit particular attention.
Research on the low latitudes in recent decades has
developed an increasing appreciation for the large
time and space scales, and has turned its focus on the
dynamics of climate, as compared with the emphasis
on weather events and smaller-scale processes which
prevailed throughout the earlier part of the past
century. 301N and 301 S are plausible approximate
boundaries of the tropics, considering the location of
the subtropical high-pressure cells; the domain of net
radiative heat gain at the top of the atmosphere; the
prevalence of diurnal over the annual cycle of solar
radiation and temperature; and the latitudinal varia-
tion of the Coriolis parameter.

Diurnal and Local Processes

In the tropics, day-periodic processes and local to
meso-scale circulations are much more vigorous than
in higher latitudes. As a result of radiation geometry,
the amplitude of the diurnal cycle of insolation and
temperature ismuch larger than the annual cycle.Over
the open ocean, the cloudiness–rainfall maximum
occurs commonly in the late night to early morning
hours. Over the tropical land areas, land- and sea-
breeze and mountain circulations dominate the diur-
nal march of cloudiness, rainfall, and weather. Ana-
batic flows lead to an afternoon maximum on the
mountains, with compensating subsidence and clear-
ing over the basins. Rainfall in the basins occurs with
some preference at night. At the coasts, a land breeze
may interact with large-scale flow to produce a
convergence and rainfall maximum in the latter part
of the night. Large inland lakes experience lower-
tropospheric convergence, cloud cover and rainfall

during the night, and subsidence and clear skies during
the day. Diurnal mass exchanges between highlands
and adjacent plains on the scale of the hundreds of
kilometers may be responsible for the suppression of
daytime convection and the origin of a nighttime
cloudiness–rainfall maximum over the lowlands.

Themarked diurnal and local controls in the tropics
are important factors for the regional climates and the
large-scale circulation. Thus in many tropical regions
the annual rainfall distribution can be appreciated
only from the interaction between diurnal factors,
local circulations, and the large-scale flow. The
resultant spatial pattern of latent heating is in turn
essential in the driving of the circulation on aplanetary
scale

Planetary Context

The zonally averaged planetery scale circulation of the
tropics consists of an easterlywind regime bounded by
the anticyclonic axes of the subtropical highs and the
two thermally direct meanmeridional circulation cells
(Hadley circulations), sketched in Figure 1. The
tropical atmosphere is a source of westerly absolute
angular momentum and of kinetic energy. The re-
quired poleward transports in low latitudes are
performed primarily by the mean meridional circula-
tion, while beyond the fringe of the tropics eddy
mechanisms assume the dominant role. The intensity
of the mean meridional circulation and the associated
production and export of kinetic energy are largest in
the respectivewinter. Inmechanical terms, the tropical
atmosphere thus is instrumental in themaintenance of
the global circulation.

Further important constraints of the general circu-
lation relate to the budgets of heat and moisture, and
these can be adequately treated only for the atmos-
phere–hydrosphere system as a whole. Fundamental
to the heat budget of the planet Earth is the net
radiation at the top of the atmosphere. This defines
the total required poleward transport of heat in
the coupled atmosphere–ocean system. Through the

2338 TROPICAL METEOROLOGY / Tropical Climates



analysis of atmospheric transports (from upper-air
sounding) and of the heat fluxes across the ocean
surface (from ship observations) this has been parti-
tioned into the contributions from the atmosphere and
the hydrosphere, respectively. Results are presented in
Figure 2. The required total poleward transport in the
combined system is largest around 301N and 301 S.
The atmospheric transport is largest in the mid
latitudes. In the tropics, the oceans accounts for about
half the total poleward transport, with the largest
amounts around 301N and 201 S. The transport of
water vapor and latent heat in the atmosphere is
related directly to the meridional pattern of precipi-
tation and evaporation from the surface. In the mid
latitudes transient eddies account for most of the
poleward transport of the atmospheric water vapor.
By contrast, in the tropics the mean meridional
circulation carries water vapor and latent heat equa-
torward, and this transport is concentrated in the
surface layer. Latent heat release and precipitation are
concentrated in the equatorial zone, from where
sensible heat and geopotential energy are exported
poleward in the upper portion of the mean meridional
circulation.

Regional Circulation Systems

Complementing the latitude-mean sketch in Figure 1,
Figure 3 portrays the spatial patterns of the lower-
tropospheric circulation during the extremes of the
annual cycle. Persistent features throughout the year
are the three subtropical highs over the southern
oceans, the two highs over the North Pacific and
North Atlantic, and the enclosed near-equatorial

trough extending around the globe. In austral summer,
the thermally induced near-equatorial trough is cen-
tered to the south of the Equator, and thermal lows are
found over the three southern continents. In boreal
summer, the subtropical highs of both hemispheres
and the enclosed near-equatorial trough appear dis-
placed northward, and as part of this the monsoon
heat low extends from northern hemispheric Africa to
southern Asia. The domain of tropical circulation is
meaningfully delineated by the subtropical high-pres-
sure belts and anticyclonic axes of either hemisphere.
From there the lower-tropospheric trade winds ema-
nate to meet within a band of highest surface temper-
ature and low-pressure trough near the Equator. The
seasonality of heat-low processes is primarily respon-
sible for the annual latitude migration of the equa-
torial trough.

Jet Streams

In the low latitudes various jet stream systems are
developed at different times of the year. The upper-
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tropospheric Subtropical Westerly Jet is a feature of
the respective winter hemisphere and owes its exist-
ence to the convergence of the poleward transport of
absolute angular momentum in the upper and pole-
ward portion of the Hadley cells, and to other factors.
The likewise upper-tropospheric Tropical Easterly Jet,
extending fromSouth-EastAsia over the IndianOcean
and Africa to the Atlantic, is confined to the height of
the summer and is related to the thermal wind pattern
associated with the then strongly heated subtropics
and the cooler equatorial atmosphere. Through cross-
circulations in the entrance and exit regions it exerts a
control on the surface climate. TheWest AfricanMid-
Tropospheric Easterly Jet is also limited to the boreal
summer and related to the thermal wind pattern, in
this instance associated with the hot desert air to the
north and the cool monsoon air to the south of the
Intertropical Discontinuity. The East African Low-
Level Jet (or Findlater Jet) appears in boreal summer at
about 1 km, extending with clockwise curvature from
the Southern Indian Ocean across the Equator to the
Arabian Sea. It has been called the ‘backbone’ of the
south-westmonsoon circulation. The EquatorialMid-
Tropospheric Easterly Jet, a recent discovery, is related
to the tongue of cold surface waters in the equatorial
Pacific.

Subtropical Highs and Trade Winds

The subtropical highs are the source of the trades and
function as major centers of action for the tropical
circulation. They are located farthest away from the
Equator during the respective summer, but in both

hemispheres they assume a westernmost position in
boreal summer. The trades represent the lower-trop-
ospheric portion of the Hadley cells. They pick up
moisture (and to a lesser extent sensible heat) from the
tropical oceans, accumulate it below the trade inver-
sion, and carry it into the equatorial trough zone,
where rainfall and latent heat release are concentrated.
The trades thus serve an important role in global
energetics. The trade inversion is lowest and best
developed in the eastern equatorward sector of the
subtropical highs, and rises and weakens both equa-
torward and toward the central and western part both
of the Atlantic and the Pacific. Large-scale subsidence
is themajor factor in the origin andmaintenance of the
trade inversion. Figure 4 illustrates the rise of the trade
inversion, the decreasing subsidence, and the increas-
ing convective activity, along the tradewind trajectory.

Equatorial Trough Zone

The equatorial trough zone and associated quasi-
permanent circulation features are in their develop-
ment and annual latitude migration controlled by
heat-low mechanisms. Embedded within broad and
coincident bands of high surface temperature and low
pressure are an axis of confluence between airstreams
of northern- and southern-hemispheric origin and a
belt of maximum convergence–cloudiness–rainfall.
The latter is typically located well away from the
confluence axis, the separation being particularly large
over northern-hemispheric Africa and the adjacent
Atlantic. Thus insolation in the latitude of highest
surface temperature and lowest pressure is ensured by
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comparatively scarce cloudiness. The meridional–
vertical cross-section in Figure 5 illustrates the struc-
ture of the equatorial trough zone in theWest African–
tropical Atlantic sector. In the season and longitudes of
strong development and far northerly location of the
flow discontinuity, the moist cross-equatorial flow
from the southern hemisphere undercuts the North-
east trades in a wedge fashion. The dynamics of the
cross-equatorial flow over the eastern Atlantic and
Pacific are dominated by the latitude variation of the
Coriolis parameter. Among the resulting characteris-
tics are a recurvature of flow from south-easterly to
south-westerly at about 51N, a speed maximum at
that latitude, a band of divergence between Equator
and recurvature, the Intertropical Divergence Zone
(ITDZ), and a band of convergence poleward from it,
the Intertropical Convergence Zone (ITCZ). The
Pacific Equatorial Dry Zone extending from the
eastern to the central Pacific has ITDZ characteristics.

Meridional climatic gradients from the Pacific
Equatorial Dry Zone to the zonally oriented band of
intense convergence–cloudiness–rainfall, the ITCZ,
are among the steepest found on Earth in the absence
of topographic effects. Over the Indian Ocean during
the south-west monsoon the cross-equatorial flow
recurves near the Equator, owing to a marked zonal
component of the pressure gradient.

Monsoons

Themonsoon area of the world is delineated primarily
in terms of the complete annual reversal of wind
regimes, thus encompassing the Indian Ocean sector
and much of tropical Africa. Over sub-Saharan West
Africa during boreal summer, a deep moist airstream
from the southern hemisphere replaces and undercuts
the dry Northeast trade winds originating from the
Sahara. In the Indian Ocean sector during boreal
winter, winds sweep from southern Asia across the
Equator into the southern hemisphere. Of far greater
proportions is the boreal summer Southwest mon-
soon. The establishment of a heat-low-induced mon-
soon trough over South Asia is instrumental in its
development. In the South Indian Ocean Southeast
trades recurve, cross the Equator, and continue into
the South Asian continent as the Southwest monsoon.
Monsoon depressions and ‘breaks in monsoon’ are
among themore important synoptic situations.On the
Indian subcontinent and adjacent regions, the bulk of
the annual precipitation falls during the Southwest
monsoon. By contrast, the greater Indonesian region
and parts of South-East Asia receive much of their
annual rainfall during the boreal winter monsoon,
with north-easterlies blowing over the South China
Sea. More complicated regimes are found in equato-
rial East Africa, where the precipitation peaks are
timed in the monsoon transition seasons. The bulk of
the water vapor brought to condensation over South
Asia during the boreal summer Southwest monsoon
stems from south of the Equator. Atmosphere, hydro-
sphere, and lithosphere are all essential for the
energetics of the monsoon.

Equatorial Zonal Circulations

The dynamics of zonal circulation cells in the near
vicinity of the Equator are characterized by vanishing
Coriolis acceleration, and thus balance between the
pressure gradient and frictional accelerations. Perti-
nent are the coherence of vertical motion at the
western and eastern extremities and the continuity of
the divergent part of the zonal flow following the
motion. A well-developed zonal circulation cell per-
sists along the Pacific Equator all year round, the so-
called ‘Walker circulation’, with ascending motion

Trade winds

Figure 4 Sketch illustrating the rise of the trade inversion,

change from subsidence to ascending motion, and increasing

convective activity, along the tradewind trajectory.
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over the central Pacific, divergent to convergent
eastward flow in the upper troposphere, subsidence
over the eastern Pacific, and compensating divergent-
to-convergent westward flow in the realm of the
Equatorial Mid-tropospheric Easterly Jet. Over the
Indian Ocean, a distinct equatorial zonal circulation
cell exists in boreal autumn only, with ascending
motion over Indonesia, divergent-to-convergent west-
ward flow in the upper troposphere, subsidence over
the coast of East Africa, and compensating divergent-
to-convergent eastward flow concentrated in the mid
troposphere. In the Atlantic sector, a weak zonal cell is
found inborealwinter,with ascendingmotionover the
mouth of the Amazon, and upper-tropospheric east-
ward divergent outflow to a subsidence center over the
eastern Atlantic.

Climatology of Weather Systems

Weather systems play an important role in the regional
climate, and their occurrence is related to the large-
scale circulation setting. In comparison with the
higher latitudes there is a vast diversity of weather
systems in the tropics. A few regionally important
systems are considered here.

Most destructive are the Tropical Storms; systems
beyond a certain intensity are called Hurricanes in the
Americas, Typhoons in the Western Pacific, and
Cyclones in the Indian Ocean. The major regions of
storm formation are the western Atlantic and the
Caribbean, the eastern Pacific, the eastern South
Indian Ocean, the Arabian Sea and the Bay of Bengal.

Waves in the easterlies are the most common
disturbances of the trade wind regime. Waves form
with preference between about 151E and 201E to the
south of the West African Mid-Tropospheric Easterly
Jet. In boreal summer, a wave crosses theWest coast of
Africa about every 3–4 days. Passing on to the cold
eastern Atlantic, the waves generally decay, but
remnants survive to the western Atlantic and Carib-
bean, where some regenerate and account for about
half of the Atlantic tropical Cyclones.

Squall Lines are among the more severe storms in
the tropics. A system is typically hundreds of kilome-
ters inmeridional extent and consists of a line of active
thunderstorms. These are particularly common over
sub-Saharan Africa in boreal summer, but they have
also been described from the western Atlantic, the
equatorial central Pacific, and northern India. Over
sub-Saharan West Africa they account for the bulk of
the annual rainfall.

The Temporales of Pacific Central America origi-
nate as disturbances in the Intertropical Convergence
Zone over the Eastern Tropical Pacific, especially
during May–June and September–October. Tempor-

ales are feared for their abundant and sustained
rainfall, and the hazards of landslides and flooding.

Wintertime cold-air intrusions from mid latitudes
affect various regions of the global tropics, namely the
Central American–Caribbean region, eastern South
America, both northern- and southern-hemispheric
Africa, and South-East Asia. Though of extratropical
origin, they interactwith tropical weather systems and
play a distinct role in the regional climate.

Climatic Variability

The quasi-permanent regional circulation systems
documented in a previous section undergo variations
not only in the annual cycle but also from year to year
and on longer time scales. A direct consequence of
such variability in the regional circulation is the
variation in climate of tropical regions, with rainfall
anomalies being of primary interest for the low
latitudes. Much publicity has been given to the
Southern Oscillation (SO), which has at its heart a
pressure seesaw between the eastern and western
extremities of the Pacific. To the extent that it is
associated with changes in the quasi-permanent re-
gional circulation systems, it may be reflected in
regional rainfall anomalies; weak manifestations of
the SO are indeed pervasive. Essential is the forcing by
the regional circulation. Only a few regional themes
are considered here.

Southern Oscillation and El Niño

The SouthernOscillation entails a large-scale pressure
seesaw, on a time scale of 2–10 years, andwith dipoles
over the eastern South Pacific and the greater Indone-
sian–Australasian region, but spanning the global
tropics. The low phase of the SO can be defined by
anomalously low/high surface pressure at Tahiti/Dar-
win. Although these large-scale, long-term pressure
variations have been studied since the latter part of the
last century, their causal relation to the El Niño
phenomenon on the West coast of South America has
been recognized only since the 1970s.

During the high phase of the Southern Oscillation,
both the eastern South Pacific high and the Indonesia
low are strongly developed, and vigorous easterly
trade winds sweep the equatorial Pacific, piling up
waters at its western extremity. Accordingly, the
eastward slope of the free ocean surface, the westward
deepening of the oceanic mixed layer, and the Equa-
torial Undercurrent are pronounced, and waters are
particularly cold off the South American West coast
and in an extended zone immediately to the South of
the Equator stretching from the coast of the Americas
far into the open Pacific. Within the atmosphere, the
Walker circulation along the Pacific Equator is strong,

2342 TROPICAL METEOROLOGY / Tropical Climates



featuring not only vigorous surface easterlies but also
an enhanced westerly return flow aloft, as well as
pronounced convection and ascending motion over
the Indonesian dipole andmarked subsidence over the
East Pacific dipole.

During the low phase of the Southern Oscillation,
the atmosphere–ocean system in the Pacific operates in
a remarkably different mode. Both the Eastern South
Pacific high and the Indonesia low are weak; the
slackened zonal pressure gradient entails weaker
surface easterly winds in the equatorial zone, and
accordingly the zonal slopes of the free ocean surface,
of constant-pressure topographies at depth, and of the
thermocline, diminish; the Equatorial Undercurrent
slows down andmay surface or vanish altogether. The
relaxation of surface wind stress incites equatorial
Kelvin waves which travel to the eastern extremity of
the Pacificwithin 2–3months,where they aremanifest
in a warming of surface waters, with maximum
around the March–April peak in the annual march.
The warm ocean and torrential rains at the otherwise
desertic coast of Peru and Ecuador trigger an ecolog-
ical catastrophe, including the mass death of fish and
Guano birds, floods, destruction of roads and houses,
and loss of human life. Within the atmosphere, the
Walker circulation along the Pacific Equator is
weak, as manifest in the slackened trade winds
and westerly return flow aloft, as well as reduced
convection, rainfall, and ascending motion over the
Indonesia dipole and lesser subsidence over the
eastern Pacific.

Variations of the upper-air circulation are an essen-
tial part of the El Niño Southern Oscillation (ENSO)
phenomenon. During the high or cold phase, the
troposphere is anomalously cold throughout the
global tropics, so that upper-tropospheric topogra-
phies are low, particularly in the lower latitudes, thus
entailing departure easterlies and equatorward flow
aloft. By contrast, during the low or warm phase, the
tropical troposphere is warm, upper-tropospheric
topographies are inflated – especially in the tropics –
and departure westerlies and poleward flow prevail in
the upper troposphere. These variations appear
broadly in phase throughout the tropical belt, but
the oceanic warming and cooling, and consequently
the temperature variations in the overlying atmos-
phere, as well as the upper-tropospheric height vari-
ations, are most pronounced in the eastern to central
Pacific. This allows for zonal flow departures in the
upper troposphere over the equatorial zone of
the Western Pacific to run essentially inverse to most
of the remainder of the tropics. The aforementioned
zonal flowvariations in the upper troposphere over the
equatorial western Pacific are an integral part of the
modulations in the Walker circulation.

Indian Monsoon

Indian south-west summer monsoon rainfall is asso-
ciated with characteristic circulation departure pat-
terns from the pre-monsoon throughout the post-
monsoon seasons. Abundant rainfall is heralded by
strong heat low development over the continent,
strong surface wind and a warm Arabian Sea preced-
ing the monsoon onset. The negative correlation with
pressure and the positive couplingwithwind persist to
the post-monsoon season. Enhanced upper-tropo-
spheric easterlies throughout the summer half-year
are further indicative of a good monsoon year.
Abundant rainfall years tend to coincide with the
high or cold phase of the Southern Oscillation.

Northeast Brazil

The droughts of northern Northeast Brazil (the
Nordeste), which has its rainy season concentrated
mainly in March–April, are characterized by an
anomalously far poleward position of the near-equa-
torial trough and embedded confluence axis and
convergence band; positive sea surface temperature
departures in the tropical North Atlantic; and anom-
alously cold waters in the equatorial South Atlantic.
Surface circulation features conducive to drought
include the distant position of the convergence band;
the cold south equatorialwater and its resulting effects
onmoisture and instability of the boundary layer flow;
and enhanced meridional temperature contrasts
across the Equator, which drive a thermally direct
meridional circulation cell in the atmosphere, featur-
ing subsidence over the Nordeste. Departure patterns
in the large-scale atmospheric and ocean fields are
approximately inverse in the dry and wet years, and
evolve during the half-year preceding the Nordeste
rainy season, thus offering the prospect of climate
prediction.

Sahel

Droughts in sub-SaharanAfrica, which experiences its
rainfall at the height of the boreal summer, are
associated with an anomalously far equatorward
position of quasi-permanent circulation features, in
particular the surface confluence axis and convergence
band, and negative sea surface temperature anomalies
are found in a broad band across the tropical North
Atlantic. Anomalously warm surface waters in the
western Indian Ocean and in the equatorial Pacific
also tend to be associated with deficient Sahel rainfall.

In addition to the interannual variability, the Sahel
zone of West Africa has experienced since the middle
of the past century a trend towards much drier
conditions, in tune with the long-term evolution of
the large-scale circulation setting. This is in part
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illustrated in Figure 6. Given the steep meridional
gradient of annual rainfall totals from the Sahara
desert to the coast of the Gulf of Guinea, the drastic
downward trend of Sahel rainfall is commensurate
with the observed southwarddisplacement of thewind
confluence over the adjacent Atlantic. A further
characteristic of the evolution from the middle of the
century to the mid 1980s was a cooling of the tropical
North Atlantic. Since the mid 1980s there have been
tenuous indications for a recovery from the prolonged
drought regime, along with a northward shift of the
wind confluence and the warming of the tropical
North Atlantic waters. The long-term trend in Sahel
rainfall must be seen in the context of an evolving
general circulation, rather than as a mere response to
the local alterations of surface conditions.

Time Scales of Variability

Interannual variability appears concentrated in vari-
ous preferred time scales. Aquasi-biennnial oscillation

is apparent in India’s rainfall, in the circulation
over the equatorial Atlantic and in rainfall over
Northeast Brazil, as well as in other elements
and areas. Northeast Brazilian rainfall and the equa-
torial Atlantic circulation further exhibit spectral
power at around 13–14 years. By contrast, inter-
annual variability in various regions of the outer
tropics and subtropics of the Americas and Africa
(Central American–Caribbean area, sub-Saharan
Africa, Southern Africa, subtropical South America)
is concentrated at a time scale of 2–3 decades.
Positive-feedback mechanisms may play a role in
the persistence of anomalous regimes in these
semi-arid to semi-humid regions. The coexistence
of various preferred time scales of interannual vari-
ability in the Atlantic and surrounding continents is
remarkable.

Climate Prediction

Climate anomalies such as those discussed in the
preceding sections can have a severe social and
economic impact. Accordingly, it has long been found
desirable to find ways of predicting such events well in
advance. While the hazards posed by certain tropical
weather systems, in particular the Tropical Storms and
Squall Lines, are recognized, in the tropics seasonal
forecasting has arguably even greater practical rele-
vance than weather forecasting. The diagnostic un-
derstanding of circulation and climate variability is
essential for the development of climate prediction
methods. Empirical as well as numerical modeling
approaches are being used to that end. There are
prospects of success for certain tropical regions.

See also
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Introduction

The tropopause denotes the natural limit between
the troposphere (Greek tropos5 turn; tropo-
sphere5 turning or mixing sphere) and the strato-
sphere (stratified as opposed to mixed). These two
atmospheric regions differ in various dynamical and
chemical parameters, such as the vertical temperature
structure, the potential vorticity, or the concentration
of climatically relevant chemical species (e.g., ozone,
water vapor). The tropopause is often clearly visible in
observations or analyses of these dynamical and
chemical parameters. However, in order to compile
quantitative statistics of tropopause properties, one
needs an objective definition that picks out the
tropopause as accurately as possible. The tropopause
can be defined in terms of physical parameters. The
tropopause can exist anywhere between 70 hPa
(�18 km) and 400 hPa (�6km), and it is therefore
not convenient to use a constant pressure level to
describe the tropopause.

Thermal Definition of the Tropopause

The conventional (‘classical’) definition of the tropo-
pause is based on the difference of the temperature
lapse rate of stratospheric and tropospheric air. In the
turbulently mixed troposphere the temperature gen-
erally decreases with height. In the stable stratified
stratosphere the temperature increases with height
owing to the absorption of solar ultraviolet radiation
in the ozone layer (seeOzone:Ozone as aUVFilter). In

1957, WMO defined the thermal tropopause as the
lowest level at which the lapse rate decreases to
2Kkm�1 or less, provided that the average lapse rate
between this level and all higher levels within 2 km
does not exceed 2Kkm�1. The latter condition
eliminates stable layers in the planetary boundary
layer (see Boundary Layers: Neutrally Stratified
Boundary Layer), which occasionally occur over
high-latitude continents during winter, leading to the
erroneous assignment of a tropopause level. The
thermal WMO criterion is operationally applied to
determine the tropopause height from individual
radiosonde temperature soundings.

The main advantage of the thermal tropopause
definition can be seen in its simplicity. In order to
determine the tropopause, the vertical profile of only
the temperature needs to be provided, which is inmost
cases well known. The thermal definition can be
globally applied. However, this definition of the
tropopause may lead to ambiguities owing to the
presence of multiple stable layers, particularly in the
vicinity of the jet streams (see Jet Streaks). A further
disadvantage is that the temperature lapse rate is not
conserved in adiabatic flow. This may lead to large
displacements of the tropopause during changes in the
static stability by convergence. Moreover, the thermal
definition obscures the fact that the tropopause often
behaves as if it were a material surface to varying
degrees of approximation.

Dynamical Definition of the
Tropopause

A second definition of the tropopause is based on
dynamical features. This definition employs the isen-
tropic potential vorticity P, which can be expressed
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mathematically as in eqn [1].

P ¼ �gðf þ zYÞ
qY
qp

½1�

Here g denotes the acceleration of gravity, f is the
Coriolis parameter (¼ 2O sin f), zY is the relative
vorticity along an isentropic surface,Y is the potential
temperature, and p is the atmospheric pressure. The
location of the so-called dynamical tropopause is
assigned to the position where the potential vorticity
reaches a critical value. The tropopause separates low
values of potential vorticity in the troposphere from
high values in the stratosphere. The WMO defines the
dynamical tropopause by the threshold value of
1.6 PVU where PVU stands for ‘potential vorticity
unit’ (1 PVU5 1 � 10� 6Km2 kg� 1 s� 1). The poten-
tial vorticity is determined by both the stability and the
three-dimensional wind field and is conserved in
adiabatic flow. Compared to the thermal definition,
this guarantees a better spatial and temporal continu-
ity of the dynamically defined tropopause. Therefore,
the dynamical method is sometimes superior to the
thermal approach, especially in the vicinity of devel-
oping baroclinic disturbances. On the other hand, the
potential vorticity approach fails in the Tropics, since
the vertical component of absolute vorticity (f þ zY)
changes the sign at the Equator. Hence, the dynamical
method of defining the tropopause is only applicable
poleward of 101 latitude. Similar limitations exist even
in the extra-tropics where potential vorticity locally
becomes small within strong anticyclonic flows.

In the literature, threshold values defining the
dynamical tropopause range from 1 to 5 PVU. A sys-
tematic global analysis using P-values ranging from 2
to 5 PVU indicated that the tropopause pressure was
generally overestimated for values less than 3 PVUand
systematically underestimated for values greater than
4 PVU compared to the pressure of the thermal
tropopause. Grewe and Dameris employed 10-year
statistics based on global data of the European Centre
for Medium Range Weather Forecasts (ECMWF) and
found that a value of 3 PVU represents an acceptable
value for the tropopause, especially inmid-latitudes of
thewinter hemisphere. Additionally, they showed that
values of potential vorticity calculated at the height of
the thermally defined tropopause exceed at least
2 PVU, independently of the season. This indicates
that, following theWMOcriteria, the 1.6 PVU surface
generally lies below the thermally defined tropopause.
On the other hand, Hoinka and co-workers pointed
out that the 1.6 PVU-tropopause well describes the
variability in space and time in comparison with
tropopauses determined from radiosonde measure-
ments. Figure 1 shows a comparison of calculated

zonal mean values for a single day that can be
employed to estimate the height of the tropopause. It
is obvious that the extra-tropical thermal tropopause
corresponds roughly to a constant potential vorticity
surface of about 3 PVU.

The Tropopause as a Chemical
Transition Layer

There are many measurements of chemical species in
the upper troposphere and the lower stratosphere
indicating an abrupt transition of mixing ratios/
concentrations of chemical compounds in the vicinity
of the thermal/dynamical tropopause. The most
prominent examples are ozone and water vapor.

Mean tropospheric ozone concentrations in
northern mid-latitudes are typically less than
1� 1018m�3, showing no clear vertical gradient. In
the lower stratosphere, ozone concentrations steadily
increase up to (mean) maximum ozone values of
5� 1018m�3 around 22 km height. The transition
layer of low tropospheric to high stratospheric ozone
concentrations is near the tropopause. Bethan and co-
workers showed that the ozone tropopause (‘ozono-
pause’) in most cases is found below the thermal
tropopause. They analyzed measurements of about
600 ozone sonde profiles at different stations in
Northern Europe between 1991 and 1994. In this
study, the ozone tropopause has been defined as the
lowest altitude atwhich the following three conditions
are valid:

1. The vertical gradient of the ozone mixing ratio is
greater than 60 ppbv (5 60 parts per billion
(10� 9) by volume) per kilometer, calculated over
a height of 200m.

2. The ozone mixing ratio exceeds 80 ppbv.
3. The ozone mixing ratio directly above the tropo-

pause is greater than 100 ppbv.

So far no official definition of the ozone tropopause
has been released by the WMO.

Water vapor mixing ratios decrease strongly with
height within the troposphere. Lower tropospheric
mixing ratios are typically greater than 1000 ppmv
(5 1000 parts per million (10� 6) by volume), depend-
ing on geographical region and season. The strong
vertical gradient in water vapor profiles is obvious up
to heights near the tropopause, the so-called hygro-
pause. The existence of a significant decrease in water
vapor mixing ratio above the hygropause in mid-
latitudes had been evident from the first measure-
ments, reported in 1946. For example, in theNorthern
Hemisphere, lower stratosphere mean water vapor
mixing ratio values of 3–5 ppmv are measured. More
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than three decades later, the hygropause was also
discovered in the tropics in 1979. A detailed global
analysis of tropopause water vapor mixing ratios
(beside other tropopause parameters) was given by
Hoinka in 1999, employing ECMWF analyses in
combination with in situ and satellite data for water
vapor. He found that the tropopause mixing ratio of
water vapor reaches a minimum in the Tropics above
the Pacific and Indian Oceans.

Distribution of the Tropopause Height

Ignoring the various possibilities for defining the
tropopause, which yield some differences in determi-
nation of the pressure (see Figure 1), the tropopause
pressure depends strongly on geographical latitude, on
season, and on the type of location (continental or
oceanic). Hoinka carried out a detailed statistical
analysis of the global tropopause pressure, employing
data provided by ECMWF for the period between
1979 and 1993. His analysis of the frequency distri-
bution of the tropopause pressure above tropical,mid-

latitude, and polar regions, classified according to
continental and oceanic areas, respectively, yielded the
following, for example.

� Above the Southern Hemisphere the tropopause is
of more zonal character than above the Northern
Hemisphere, where the continents generate zonal
wave patterns.

� Above both hemispheres, the strongest meridional
gradients in the tropopause pressure are found
between 201 and 401 latitude.

� Strong standard deviations in tropopause pressure
are observed in the regions of the Atlantic and
Pacific storm tracks.

Conclusion

The explanations given so far assume implicitly that
the tropopause is a two-dimensional surface. Howev-
er, at this point it should be mentioned that there are
suggestions that, at least in the Tropics, it may bemore
useful to think of a ‘tropopause zone’ or a ‘tropopause
layer’ that is a few kilometers thick and in which
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vertical and horizontal mixing are both significant.
Highwood andHoskins discussed the results of several
studies that seem to indicate that the tropical tropo-
pause is generally far from being a single well-defined
level. For example, Thuburn and Craig found in their
General Circulation Model simulations that the
equatorial zonal mean lapse-rate tropopause height
is at approximately 16 km, while the zonal mean
minimum temperature occurs at 18 km.

Nevertheless, it is important to know the temporal
and spatial structure of the tropopause and of
meteorological and chemical parameters within the
transition zone between the troposphere and the
stratosphere. This is necessary in order to estimate
the exchange of mass, water vapor, ozone, and other
chemical compounds between these two atmospheric
layers. The transport of mass through the tropopause
is for many purposes a useful measure of global-scale
stratosphere–troposphere exchange (see Strato-
sphere–Troposphere Exchange: Global Aspects), in
particular on seasonal or longer time scales. Detailed
knowledge of the air mass exchange between
the stratosphere and the troposphere is required
for reliable estimates of the effects of natural and
anthropogenic emissions on atmospheric composi-
tion and therefore on climate; it must be understood
for the prediction of global change.

See also

Boundary Layers: Neutrally Stratified Boundary Layer.
Jet Streaks. Ozone: Ozone as a UV Filter. Strato-
sphere–TroposphereExchange:Global Aspects; Local
Processes.
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Introduction

Atmospheric particles (aerosols) range in size from a
few nanometers to tens of micrometers in diameter.
(An aerosol is strictly defined as a suspension of fine
liquid or solid particles in a gas. In common usage,
however, the particles themselves are referred to as the
aerosol.) Primary aerosols are those particles emitted
directly into the atmosphere. Particles or particulate
materials are also formed in the atmosphere by
nucleation or condensation of vapor species; such
gas-to-particle conversion processes are an important
source of atmospheric particulate material.

Particles are ubiquitous in the atmosphere; there is
no region of it totally devoid of them. Particles are, in
fact, the nuclei for the formation of clouds. Those
particles that, in the presence of small amounts of
water supersaturation, grow spontaneously to form
cloud droplets are called cloud condensation nuclei
(CCN). The number of particles in a given ambient
population that will form cloud droplets in a certain
situation depends on the amount of ambient water
supersaturation and the composition of the particles

themselves. Particles containing water-soluble com-
pounds preferentially act as CCN over those that
contain largely insoluble compounds.

The troposphere is the lowest layer of the atmos-
phere, ranging from the Earth’s surface to an altitude
of about 10 to 15 km, depending on latitude and time
of year. The temperature in the troposphere decreases
with altitude – this leads to a dynamically unstable
situation where mixing from the surface up to the top
of the troposphere occurs on the order of a week or so.
All of the atmosphere’s weather and most of its water
are in the troposphere. The atmospheric layer lying on
top of the troposphere is the stratosphere, extending to
an altitude of about 50 km. The temperature in the
stratosphere increases with altitude, leading to a
dynamically stable layer in which vertical mixing
processes are slow. The coldest point in the atmos-
phere between the surface of the Earth and the top of
the stratosphere is at the troposphere–stratosphere
boundary, the tropopause. Typical tropopause tem-
peratures are about 220K. When tropospheric air
penetrates up into the stratosphere, water vapor in
that air is frozen out at the tropopause; consequently,
the stratosphere is very dry and generally cloudless.
(Stratospheric clouds do form at the extremely cold
temperatures of thewinter stratosphere over the poles,
where even the small amount of water vapor is frozen
to form polar stratospheric clouds.)

Particles are eventually removed from the atmos-
phere by two routes: deposition at the Earth’s
surface (‘dry’ deposition) and incorporation into cloud
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droplets, either as the droplets form or as they fall
(‘wet’ deposition). Because the troposphere is fairly
vigorosly mixed and because the incidence of precip-
itation is frequent, the lifetime of particles in the
troposphere is relatively short, ranging from a few
days to a few weeks. (Because the only route for the
removal of stratospheric aerosols from the atmosphere
is relatively slow transport down into the troposphere,
where they are subject to removal by wet or dry
deposition, stratospheric particles can have lifetimes
of several years.) While not all particles released
simultaneously into the atmosphere will remain in the
atmosphere for an identical amount of time, there is an
average residence time, or lifetime, for such particles.
For a well-mixed atmospheric reservoir, the mean
residence time of particles is the total mass of particles
in the reservoir divided by their overall rate of
removal, expressed in mass per time. Since there is
a highly nonuniform geophysical distribution of
particle sources over the globe, the relatively short
residence time of particles leads to a highly nonuni-
form distribution of aerosols in the troposphere; that
is, particles are simply not airborne long enough to
become uniformlymixed throughout the troposphere.
As a result, tropospheric aerosols tend to be catego-
rized according to the different areas of the Earth in
which they are found, such as marine, desert, urban,
rural, etc.

Chemical Components of Atmospheric
Aerosols

This article addresses the composition of airborne
particles in the troposphere. The tropospheric aerosol

is remarkably diverse in its composition, reflecting the
wide range of particle sources at the Earth’s surface.
Figure 1 depicts schematically the chemical compo-
nents of tropospheric particles and their routes of
incorporation into the aerosol phase. Chemical com-
ponents of tropospheric aerosols include inorganic
materials such as sulfate, ammonium, nitrate, sodium,
chloride, trace metals, crustal elements, carbonaceous
material, andwater. Particles in different regions of the
troposphere contain these species in differing amounts
and proportions, but most of the mass of airborne
tropospheric particles is represented by the collection
of species depicted in Figure 1. In the remainder of this
article we discuss the sources of each of these classes of
species, and how their absolute amounts vary in
different regions of the troposphere.

Some aerosol constituents are relatively inert and
nonvolatile, and their presence in the particulate phase
does not depend on the composition of the atmosphere
in which the particles are dispersed. Examples of such
components are metals, like lead, and alkaline Earth
elements, such as calcium and magnesium. The
elemental composition of such materials in aerosols
can be related directly to the sources of particles
emitted into the atmosphere. Other aerosol species are
more volatile, such that they are distributed between
gaseous and aerosol (aqueous or solid) phases in the
atmosphere, and this phase distribution depends on
atmospheric conditions. Atmospheric acids and bases
fall into this category, as do carbonaceous compounds
with vapor pressures sufficiently low for the species to
distribute themselves between the gas and aerosol
phases but not so low that the compounds lie entirely
in the particulate phase. Compounds with vapor
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Primary inorganic
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(dust, fly ash, etc.)
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Figure 1 Chemical components of tropospheric aerosols and their routes of incorporation into the aerosol phase.
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pressures in the range where they are distributed
between the gas and aerosol phases are often referred
to as semivolatile.

Inorganic Aerosols

Sulfur is a ubiquitous component of atmospheric
aerosols. Whereas some particles are directly emitted
containing sulfur, the majority of the sulfur in atmos-
pheric aerosols is the result of gas-to-particle conver-
sion. The principal gaseous atmospheric precursor to
aerosol sulfur is sulfuric acid (H2SO4), which is
produced in the atmosphere from the oxidation of
sulfur dioxide (SO2). Sulfur dioxide has both natural
and anthropogenic sources. The most important
anthropogenic source of SO2 is combustion of sulfur-
containing fuels. A major natural source of SO2 is the
atmospheric oxidation of dimethyl sulfide (CH3SCH3)
emitted from oceanic phytoplankton. Gaseous sulfur
dioxide reacts with the hydroxyl (OH) radical through
a series of steps to produce theH2SO4 vapormolecule.
Sulfuric acid has an extremely low vapor pressure;
consequently, it rapidly condenses on any available
particles. In some instances, when sufficient aerosol
surface area is not present to absorb the sulfuric acid,
H2SO4, in combination with water molecules, will
spontaneously nucleate to form new ultra-small par-
ticles. Sulfates have vapor pressures low enough for
them to tend, when present, to reside overwhelmingly
in the aerosol phase.

In addition to sulfuric acid, NH3, HNO3, and HCl
are the major inorganic vapors involved in formation
and growth of atmospheric aerosol. A principal source
of chlorine in the atmosphere is sea salt particles. The
NaCl in sea salt can react with sulfuric and nitric acids
to produce gaseous HCl:

HNO3 gð Þ þNaCl sð Þ!NaNO3 sð Þ þHCl gð Þ ½I�
H2SO4 gð Þ þ 2NaCl sð Þ!Na2SO4 sð Þ þ 2HCl gð Þ ½II�
Gas-phase ammonia can react with acid vapors to

form ammonium salts in the aerosol phase. Products
include NH4NO3, (NH4)2SO4, NH4HSO4, and
NH4Cl. The reversible reaction

NH3 gð Þ þHNO3 gð Þ!NH4NO3 sð Þ ½III�
is the principal source of nitrate in atmospheric
aerosols. An analogous reaction is the equilibrium
among NH3, HCl, and NH4Cl:

NH3 gð Þ þHCl gð Þ!NH4Cl sð Þ ½IV�
When the relative humidity is sufficiently high, the
particle phase becomes an aqueous solution, and the
above salts dissociate into their corresponding ions:
NHþ

4 ;NO�
3 ;H

þ;Naþ;Cl�;HSO�
4 , and SO2�

4 . These
ions play an important role in governing the amount of

liquid water in the aerosol particle at a given ambient
relative humidity.

Deliquescence Behavior of Atmospheric Aerosols

With a single aqueous phase containing dissolved
electrolytes, when compounds condense or evaporate,
watermust also condense or evaporate tomaintain the
particle water activity equal to the ambient relative
humidity. Thus, the water content of particles changes
in response to condensation or evaporation of elec-
trolytes, or in response to changes in ambient relative
humidity itself (Figure 2). At a fixed electrolyte
content, as the ambient relative humidity is lowered,
water evaporates from the particle to maintain equi-
librium. If the relative humidity is lowered sufficiently,
a solid crystalline phasemay formwhenoneormore of
the electrolytes reaches saturation. For instance, if the
particle contains sodium chloride, this solid phase will
occur theoretically at 75% relative humidity. This
defines the efflorescence point, which, according to
equilibrium thermodynamics, is equivalent to the
deliquescence point – the efflorescence point defines
the relative humidity where the aqueous-to-crystalline
phase transition occurs, whereas the deliquescence
point defines that of the crystalline-to-aqueous tran-
sition. In general, the deliquescence point is a function
of temperature, and this dependence can be derived
from the Clausius–Clapyron equation. The efflores-
cence and deliquescence points generally do not
coincide, because nucleation of the new crystalline
phase typically does not occur until the solution is
substantially supersaturated (Figure 2).

20 30 40 50 60 70 80 90 100
Relative humidity (%)

2.4

2.2

2.0

1.8

1.6

1.4

1.2

1.0

P
ar

tic
le

 s
iz

e 
ch

an
ge

, D
p
/D

p o

Deliquescence branch
Crystallization branch

(NH4)2SO4 at 298 K

Figure 2 Deliquescence and crystallization behavior of atmos-

pheric aerosols. Growth (filled circles) of an initially dry ammonium

sulfate (namely, (NH4)2SO4) particle as relative humidity (RH) is

increased. The particle remains dry until about 80% RH, where it

spontaneously takes onwater (deliquesces). Subsequently, as the

wet particle is exposed to decreasingRH (opencircles), the particle

remains wet below 80% RH and finally crystallizes at around 30%

RH. This hysteresis behavior upon wetting and drying is typical of

atmospheric inorganic salts.
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For single-salt solutions, there is a single deliques-
cence point separating the higher relative humidities
(where the particle is aqueous) from the lower relative
humidities (where the particle is crystalline). Aqueous
particles containing, for instance, sulfuric acid do not
display a deliquescence point, because no solid phase
of sulfuric acid exists for typical tropospheric temper-
ature ranges.

If the particle contains multiple salts, or combina-
tions of salts and acids, there is a range of relative
humiditieswhere aqueous and solid phases can coexist
in equilibrium. Consider, for example, two salts in
solution. As the relative humidity is lowered, eventu-
ally one of the salts becomes saturated and forms its
crystalline phase. As the relative humidity continues to
decrease, more of this salt precipitates, and the
solution becomes simultaneously more concentrated
in the nonprecipitating salt. Eventually the nonpre-
cipitating salt reaches its saturation, and further
decreases in relative humidity cause the particle to
effloresce completely. If the particle contains a salt and
an acid, the first deliquescence will occur, but the
aqueous phase will continue to persist, owing to the
absence of a deliquescence point for the acid. It can be
shown that the deliquescence points of nonreacting
mixtures are always lower than those of the single
solutes.

Carbonaceous Aerosols

Carbonaceous material is a ubiquitous component
of atmospheric aerosols. From combustion pro-
cesses, carbon-containing compounds are emitted
directly into the atmosphere in particulate form,
a prime example of which is soot. In addition, during
the gas-phase atmospheric oxidation of organic
gases (by species such as OH,O3, andNO3), products
are formed with oxygen-containing functional
groups. These products tend to have lower vapor
pressures than their parent organic molecules, and,
as a result, can condense to the aerosol phase.
Carbonaceous material incorporated into particles
by this route is referred to as secondary organic
aerosol. Parent organic gases that, upon atmospheric
oxidation, are capable of yielding products of suffi-
ciently low vapor pressure for them to condense into
the aerosol phase generally must have at least six
carbon atoms. Natural hydrocarbons like the mono-
terpenes (a class of compounds having the chemical
formula C10H16) lead to secondary organic aerosol
when oxidized in the atmosphere by OH, O3, and
NO3. In areas of high vegetation coverage, terpenes
can contribute a substantial amount of organic
aerosol.

The carbonaceous fractionof atmospheric aerosol is
often divided according to elemental carbon (EC) and

organic carbon (OC). Loosely speaking, EC refers to
that fraction of the aerosol collected on a filter that
cannot be vaporized upon heating. Chemically, EC is
associatedwith soot-like compounds. By contrast,OC
represents that fraction of the carbon-containing
material that can be vaporized. Thus, the division of
the carbonaceous material into EC and OC is essen-
tially an operational one, defined on the basis of the
technique used in measurement.

DegreeofChemicalMixing inAtmosphericParticles

All atmospheric particles of the same size do not have
the same chemical composition. An ‘externallymixed’
aerosol population is defined as one in which different
particles of the same size have different chemical
composition. In the extreme, an external mixture
would consist only of particles containing individual
pure substances, such as pure ammonium sulfate in
one class of particles and pure elemental carbon in
another class. Such complete segregation of substanc-
es does not occur. Rather, atmospheric aerosols consist
of particles that initially have the chemical signature of
their sources but, as they age in the atmosphere, take
on other species from the gas phase or, possibly,
coagulate with other particles.

Gas–Aerosol Equilibrium

The key thermodynamic properties of organic com-
pounds that control their partitioning to condensed
phases in the atmosphere are the Henry’s law constant
ðKHÞ, pure species vapor pressure ðp0Þ and, for
substances that dissociate into ions in aqueous solu-
tions, the dissociation constant ðKaÞ. The atmospheric
relative humidity and presence of other dissolved
species in liquid aerosols also affect partitioning via
the amount of condensed-phase water and the activity
coefficient of the dissolved organic substance (in an
aqueous or organic liquid phase). These relationships
are briefly summarized here.

The solubility of an organic gas A in water is
described by:

A gð Þ!A aqð Þ ½V�

KH ¼ gAmA

pA
½1�

where KH (mol kg�1 atm� 1) is the Henry’s law
constant, mA is the molality of A (moles of A per kg
of liquid water), and pA (atm) the gas-phase partial
pressure ofA. The quantity gA is the activity coefficient
of A in the aqueous phase and in an infinitely dilute
aqueous solution has a value of unity. Aerosols can
contain a large number of both inorganic and organic
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dissolved components, and gA is a function of the
solution phase composition and the ambient relative
humidity, which controls the concentrations of the
dissolved components in the aqueous aerosol.

If the organic compound, for example an organic
acid RCOOH, dissociates significantly in aqueous
solution,

RCOOH!Hþ þ RCOO� ½VI�

then overall partitioning to the aerosol phase is
enhanced, as the total molality of RCOOH in the
aerosol phase is given by

mTOTAL ¼ mRCOOH þmRCOO� ½2�

mTOTAL ¼ pRCOOH KH

1

gRCOOH

þ Ka

mHþgHgRCOO

� �
½3�

whereKa (mol kg�1) is the dissociation constant of the
acid. It is apparent from eqn [3] that, in this case,
partitioning is dependent upon the two equilibrium
constants, aerosol pH (the hydrogen ion activity
mHþgHÞ, and the activity coefficients, gRCOOH and
gRCOO.

Atmospheric condensed phases (clouds, fogs, aero-
sols) contain up to about 0.1 g water per m3 of
atmosphere. It can be shown that, for an atmospheric
gas to partition significantly into cloud water, the
Henry’s law constant (an ‘effective’ value, including
the effects of any dissociation) must exceed
104mol kg� 1 atm� 1. This value is even greater if
partitioning into aqueous aerosols (10–4–10–5 g H2O
perm3) is considered.

Establishment of gas–aerosol equilibrium in an air
mass requires that the time scale to establish equilib-
rium is short compared with that over which the
volatile species and aerosol concentrations are chang-
ing. The most ubiquitous volatile species in atmos-
pheric aerosols is water. Because of the relatively large
amount of water vapor in the atmosphere, the time
needed to establish gas–aerosol equilibrium for it is
extremely short. Thus, gas–aerosol equilibrium can
always be assumed to hold for water. The time needed
to establish gas–aerosol equilibrium for other species,
such as ammonium nitrate, depends on temperature,
relative humidity (whether the particle is wet or dry),
and the quantity of aerosol and its size distribution.
Generally speaking, the ammonium salts achieve
equilibrium rapidly under warm conditions and with
high concentrations of aerosol, and require longer
equilibrium times at lower temperatures and with low
concentrations of aerosols.

Atmospheric Concentrations of
Aerosols

The global tropospheric aerosol can be considered to
consist of about five general categories of material: (1)
sea salt; (2) soil dust; (3) inorganic salts (sulfate,
nitrate, ammonium); (4) organic carbon; and (5)
elemental carbon. The relative proportions of each
of these five classes vary over the globe. By sheer mass,
sea salt has the largest flux into the atmosphere of any
of the five categories, but the actual mass of sea salt
aerosol in the atmosphere at any time is actually less
than that of soil dust. This is because sea salt aerosol
does not rise vertically into the atmosphere very far
above the ocean surface and falls back into the sea
fairly readily. Soil dust, which has an estimated global
emission rate about one-fifth that of sea salt, is actually
estimated to have about twice the totalmass loading in
the atmosphere. This larger mass loading is a result of
the fact that soil dust gets transported much higher in
the atmosphere than sea salt and consequently has a
much longer residence time in the atmosphere. Saha-
ran dust is regularly measured in the air of Miami,
Florida, for example. Inorganic salts and organic and
elemental carbon have principally anthropogenic
sources, and these sources tend to be concentrated in
the Northern Hemisphere. The average atmospheric
residence time of these ‘pollution’ particles is on the
order of aweek.Given typical wind speeds, thismeans
that such aerosols will tend to be located over and
downwind of the heavily industrialized regions of the
Northern Hemisphere. One exception to the over-
whelming concentration of anthropogenic aerosols in
the Northern Hemisphere is the carbonaceous aero-
sols emitted fromburning of biomass,which occurs on
a large scale in the Southern Hemisphere.

Concentrations of atmospheric aerosol components
are usually reported in either of two ways. The first is
the mass concentration, expressed in terms of micro-
grams of aerosol species per cubic meter of air,
mgm� 3. The second is based on the mole fraction of
the species in air. A commonly used measure of the
level of gaseous species in the atmosphere is mole
fraction. For the trace atmospheric gases important in
atmospheric chemistry, mole fractions range from
about 10� 6 to 10� 12. These mole fractions are
equivalent to the volume of species per volume of air.
It has proved convenient to report such mole, or
volume, fractions in terms of so-called mixing ratios,
such as parts per billion (1 ppb: 1 part in 109 parts of
air) or parts per trillion (1 ppt: 1 part in 1012 parts of
air). Aerosol species concentrations can, likewise, be
expressed in such mixing ratio units.

There exist numerous publications reporting con-
centrations of aerosol constituents over different
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regions of the globe. Most of these reported measure-
ments are at ground level over land, especially in
heavily polluted urban areas. There have been a
number of measurements of the marine aerosol,
carried out both on shipboard and at remote island
sites. The least well sampled area of the troposphere is
that above the atmospheric boundary layer. (The
atmospheric boundary layer encompasses the lowest
500m or so of the atmosphere.) To sample above the
boundary layer usually requires aircraft, and such
sampling therefore occurs much less frequently. As a
result, of tropospheric aerosol composition the least is
known about that in the upper troposphere.

Ranges of the mass of total fine particle (roughly
those particles with diameters less than 2 mm) in the
troposphere at ground level are:

Remote o5 mgm�3

Non-urban continental 15 mgm�3

Urban 50 mgm�3

Urbanðheavily pollutedÞ > 100 mgm�3

As expected, highest global concentrations of atmos-
pheric aerosols are found in large urban areas, where
total mass concentration levels can routinely exceed
100 mgm� 3. As an example of the composition of
urban aerosols, Figure 3 shows the mass concentra-

tions of aerosol constituents measured during Sep-
tember–October 1996 at Riverside, California, a city
directly downwind of metropolitan Los Angeles that
routinely experiences some of the highest concentra-
tions of submicron (i.e., particles of diameterr1mm)
particulate matter in the United States. Aerosol at this
site is particularly characterized by large amounts of
ammonium and nitrate. Ammonium nitrate, which
results from the atmospheric reaction of ammonia and
nitric acid (reaction [III] above) is especially high in
this location because of the production of nitric acid by
atmospheric chemistry involving oxides of nitrogen
emitted in the Los Angeles area and a large local
emission source of ammonia.

Conclusion

Atmospheric aerosols contain the chemical signature
of the sources of direct particle emissions into the
atmosphere aswell as that of the conversionof gaseous
molecules into particulate-phase species. The broadest
classification of the chemical components of atmos-
pheric aerosols is into inorganic species (salts, metals),
carbonaceous compounds, and water. Many aerosol
species are nonvolatile; once deposited in the aerosol
phase, they remain there until the particle is eventually
removed from the atmosphere. Other species, such as
some ammonium salts and a variety of organic
compounds, distribute themselves between the gas
and aerosol phases in accordance with local atmos-
pheric conditions. Not all particles of the same size at
the same location have the same chemical composi-
tion, as particles arise from different sources and have
different histories in the atmosphere. Particle mass
concentrations vary over the globe, from the order of
1 mgm� 3 in the cleanest air masses to more than
100 mgm� 3 in polluted urban areas. Understanding
the dynamics of the chemical composition of the
atmospheric aerosol remains one of the challenges of
atmospheric science.

See also

Aerosols: Observations and Measurements. Cloud
Chemistry. Observations for Chemistry (In Situ):
Particles.
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Introduction

Aliphatic hydrocarbons, similarly to other hydrocar-
bons and carbon monoxide, are major players in a
variety of important chemical processes. They react
with hydroxyl radicals and thus influence the atmos-
pheric balance of reactive radicals. This oxidation
process results in the formation of a number of
important secondary photooxidants, arguably the
most important one being ozone. Other important
secondary photooxidants derived from the atmos-
pheric oxidation of aliphatic hydrocarbons include
aldehydes, peroxides, ketones, and peroxyacetyl ni-
trate. Consequently, aliphatic hydrocarbons signifi-
cantly impact the concentrations of a variety of other
important atmospheric trace constituents.

Strictly speaking, the definition of aliphatic hydro-
carbons includes a very wide variety and an extremely
large number of compounds. However, for the prac-
tical purpose of this article the range of substances will
be limited to those aliphatic hydrocarbons that are
most abundant in the troposphere andmost important
for the chemistry of the atmosphere. Furthermore,
some specific groups of hydrocarbons such asmethane
and isoprenoids are treated in separate articles andwill
therefore be excluded, although they chemically
belong to the category of aliphatic hydrocarbons.
For the same reason, aliphatic hydrocarbons that are
primarily attached to atmospheric particulate matter
will not be discussed here. This article will discuss the
sources, sinks, chemical transformations, and distri-
bution of aliphatic hydrocarbons in the troposphere.

The number of compounds that fall into the defined
category of aliphatic hydrocarbons is very large.
However, nearly all of the aliphatic hydrocarbons
that are relevant for the chemistry of the troposphere
can be combined into two chemical groups, namely,
alkanes and alkenes. The only relevant exception is
ethyne, the only alkyne that is of significance for the
chemistry of the troposphere. Alkanes that are impor-
tant for the chemistry of the troposphere seldom have
more that eight or nine carbon atoms; the important
alkenes generally have not more than five carbon
atoms.Although this somewhat reduces the number of
aliphatic hydrocarbons that are relevant for the
chemistry of the troposphere, in total one still has
potentially to deal with a hundred or more individual
aliphatic hydrocarbons. Fortunately, there are many

parallels between different compounds and the main
features of the tropospheric chemistry anddistribution
of aliphatic hydrocarbons can be derived from a few
general principles.

Emissions of Aliphatic Hydrocarbons

Source Types

There are no known processes that result in a relevant
formation rate of aliphatic hydrocarbons from chem-
ical reactions in the atmosphere. Furthermore, nearly
all emissions occur at ground level over the continents.
In general, the sources of atmospheric hydrocarbons
can be divided into three main categories:

� Losses of hydrocarbons during production, distri-
bution, or usage of products or feedstock containing
hydrocarbons

� Incomplete combustion processes
� Biological processes

Losses can be divided into complete evaporation,
including leakage, and partial losses. Complete evap-
oration processes result from fuel spills, many types of
solvent usage, hot soak losses in internal combustion
engines, and leakage from gas or oil pipelines. They
result in emissions with a composition that is usually
identical or very similar to that of the parent material.
Consequently, the composition of these types of
emissions is generally reasonably well known. Incom-
plete evaporation processes, probably the most im-
portant being fuel evaporation, usually result in a
fractionation relative to the precursor material. Con-
stituents with higher vapor pressure are lost preferen-
tially and the composition of the emissions is no
longer identical to the composition of the bulk source
but will depend on details of the loss process such as
temperature and effectiveness of the evaporation
process. Nevertheless, estimates of the composition
of emissions due to partial evaporation losses can be
derived from the composition of the source material
and vapor pressure considerations. As a result, the
level of our understanding of the relative composition
of evaporative losses and leakages is reasonable,
although far from complete.

For incomplete combustion processes there is gen-
erally no simple relation between fuel composition
and emissions. The major part of the emitted hydro-
carbons is formed during the combustion process and
often a substantial number of the emitted compounds
are not components of the fuel material. In the specific
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case of solid fuels, such as coal or wood, essentially all
the emitted volatile components are formed during the
combustion process. It is therefore not surprising that
incomplete combustion processes often result in
emissions with a very complex composition. Further-
more, the composition of exhaust gases from incom-
plete combustion processes is highly dependent on the
combustion process – for example, the type of fuel,
temperature, and oxygen availability – and the pres-
ence and efficiency of emission-reduction measures
such as catalytic converters in cars.

On a global scale, the most important incomplete
combustion sources for aliphatic hydrocarbons are
automotive tailpipe emissions and biomass burning.
There are several other less important but still relevant
types of combustion sources, including waste inciner-
ation, fossil fuel-powered electricity generation, and
residential heating.

Biomass burning includes a wide variety of pro-
cesses, ranging from deforestation and moving agri-
culture in tropical and subtropical areas, the burning
of agricultural waste, and the use of biofuels for
residential heating and cooking, to forest or savanna
fires. Similarly, automotive sources can be divided into
numerous subcategories such as emissions fromdiesel-
or gasoline-fueled cars, trucks, passenger cars, or cars
with and without catalytic converters.

In Figure 1 examples of the relative composition
of emissions from incomplete combustion sources
(Figure 1A) and different loss processes (Figure 1B) are
compared. It should be noted that, even within a
specific source type, there is a significant regional,
temporal, and sometimes even seasonal variability (for
example, inmany regions the compositions of gasoline
or diesel differ between winter and summer) and
consequent variability of the derived emissions. The
data inFigure 1, therefore, do not necessarily represent
a global average. Nevertheless, they give insight into
the typical composition of some of themost important
emitters of aliphatic hydrocarbons.

For the compounds treated in this article, on global
average, emissions due to biological processes are
small compared to those from other sources. Never-
theless, locally they may have some impact owing to
the different geographical distributions of the individ-
ual types of sources. Oceans are a source of light
alkenes and, to a lesser extent, of alkanes. On global
average, total emissions of hydrocarbons from oceans
are in the range of a few teragrams (Tg; 1012 g) per
year, only a few percent of the total global emissions.
However, over remote areas of the ocean, the atmos-
pheric levels of reactive hydrocarbons with short
atmospheric lifetimes, especially ethene and propene,
will be predominantly due to oceanic emissions.
Similarly, emissions of light alkenes from soil and

vegetation can have a small impact over remote
continental regions.

Emission Rates and Source Distributions

Considering the complex chemical composition of
the emissions, the wide variety of source types, the
dependence of the emission rates on details of the
emission process, and the information required on
geographic distribution of the sources, the compiling
of emission inventories for aliphatic hydrocarbons is a
very challenging task. It is therefore not surprising
that, in spite of the importance of aliphatic hydrocar-
bons for many aspects of atmospheric chemistry, the
present emission inventories have large uncertainties
and independent emission inventories often differ
substantially. The situation is exacerbated by the use
of different types of categories in individual invento-
ries and the lumping of different chemical species into
one chemical category for numerical model simula-
tions. Furthermore, only for one aliphatic hydrocar-
bon (ethane) has a closed budget based on a
comparison of atmospheric loss rates and emissions
been established. Emission inventories have not been
verified by systematic comparison with atmospheric
observations for any other aliphatic hydrocarbon.

On average, the existing emission inventories prob-
ably have uncertainties in the range of a factor 2.
However, the uncertainties differ substantially for
different source categories: for example, emissions
related to fossil fuel are generally better known than
inventories for biomass burning sources. In addition,
emission rates of aliphatic hydrocarbons are tied to a
number of factors that changewith time. There is little
doubt that emissions have increased substantially
since the beginning of the industrial age, but during
the last two decades the trend is not as obvious as one
might expect at first sight. The worldwide increase in
population, changes in fossil fuel consumption rates,
substantial investments in emission-reduction tech-
nologies in developed countries, and the drastic
economic and political changes in the area of the
former Soviet Union have a net effect that is very
difficult to determine. Unfortunately, many published
emission inventories do not give estimates of aliphatic
hydrocarbon emissions for specific years, and data for
different source categories are seldom available for
consistent time intervals. The estimates given here
represent approximately the period between 1985 and
1995, but obviously the uncertainties in recent trends
in aliphatic hydrocarbon emissions add to the overall
uncertainty of the emission inventories.

On global average, the emissions of aliphatic
hydrocarbons are in the range of 100 to 150Tg y�1.
About 60–80%of these emissions are due to fossil fuel
use, including losses during generation, distribution,
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and storage. Biomass burning contributes between
20% and 30%. The magnitude of the biological
sources is highly uncertain, but there is little doubt that
for nonisoprenoid aliphatic hydrocarbons the emis-
sions are small compared to other sources.

A breakdown of emissions related to fossil fuel use
and biomass burning into the most important groups
of aliphatic hydrocarbons is given in Figure 2A. The
relative contributions of emissions from different
types of anthropogenic fuel uses, including waste
burning, are given in Figure 2B.

The spatial distribution of most of the sources of
aliphatic hydrocarbons is closely related to intensity of
industrialization, energy consumption, and popula-
tion density. Consequently the emission densities peak
in the industrialized countries and the urban and
industrial centers of developing countries. However,
some of the major sources, especially biomass burning
and oil and natural gas production, have major
components that are independent of these factors.
Forest and savanna fires, agricultural waste burning,
and forest clearing are responsible for substantial
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Figure1 (A)Comparison of the relative compositions of different source categories. The individual emissionsarenormalized to the sum

of all identified aliphatic NMHC emitted from the specific source category. (Data compiled from: McLaren R, Singleton DL (1996) (B)

Analysis ofMotorVehicleSourcesand their contribution toambienthydrocarbondistributionsat urbansites inTorontoduring theSouthern

OntarioOxidants Study,Atmos. Environ. 30(12): 2219–2232; theGAIA/EDGARemission database; Lobert JM,ScharffeDH,HaoWM,et

al. (1991) Experimental evaluation of biomass burning emissions: nitrogen and carbon containing compounds. In: Levine J (ed.) Global

Biomass Burning: Atmospheric, Climatic, and Biospheric Implications, pp. 290–304. Cambridge, MA: MIT Press; Czapiewski K von

(1999), PhD thesis, Universität zu Köln.)
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emissions remote from urban and industrialized areas.
Similarly, areas with a high density of oil and natural
gas production are very often geographically separate
from regions with high levels of fossil fuel consump-
tion. On regional scales, the strong association of the
most important sources with urban or industrialized
areas results in spatially inhomogeneous and highly
variable emissions rates. Nevertheless, on larger scales
there are significant systematic dependences. With
marginal exceptions, all sources are located on the
continents, and the global distribution of landmass has
a substantial impact on the distribution of the sources.
Furthermore, densities of industrial complexes and
energy consumption peak atmid-northern latitudes. It
is therefore not surprising that emissions from many
source categories peak in the range of 301N to 501N.
The shapes of the latitudinal distribution of emissions
due to transport-related sources, biomass burning,

and oil production are shown in Figure 3A. The very
broad distribution of the biomass burning sources
reflects the widespread occurrence of various biomass
burning processesmentioned above. Similarly, the two
separate maxima for oil exploitation emissions corre-
spond to the latitude belts with high crude oil
production rates. Since the chemical composition of
the various source types often differs, the geographic
distributions of emissions of individual compounds
also can differ (see example in Figure 3B).

Chemistry

Tropospheric Removal

The only relevant removal of aliphatic hydrocarbons
in the troposphere occurs by gas phase reactions,
predominantly initiated by hydroxyl (OH) radicals.
For alkanes and ethyne, the reaction with OH radicals
is on global average the only relevant loss mechanism.
Alkenes react also with ozone, but this reaction is
generally less important than removal byOH radicals.
Reaction with chlorine atoms (Cl), bromine atoms
(Br) and the nitrate radical (NO3) contribute to a
minor extent to the tropospheric removal of aliphatic
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hydrocarbons; however, these reactions are relevant
only under specific conditions.

Specifically, in the lower polar troposphere during
spring, chlorine atom concentrations are sufficiently
high to cause a clearly visible depletion in the
concentration of nearly all aliphatic hydrocarbons
for limited time periods. Similarly, under these condi-
tions, bromine atom reactions contribute significantly
to the removal of ethyne and light alkenes. For most
aliphatic hydrocarbons the rate constant for reaction
with the NO3 radical is too slow to be of relevance for
the troposphere. However, at high NO3 radical
concentrations (e.g. at night and in regions with
substantial concentrations of nitrogen oxides ðNOxÞ)
this reaction can be an importantmechanismof alkene
loss. The reactivity of alkenes toward the NO3 radical
increases dramatically with increasing alkyl substitu-
tion at the double bond and reaction of these highly
reactive alkenes with the NO3 radical can be an
important loss process at night. In general this type of
reaction is less important for the chemistry of the
alkenes treated here, although it can be highly relevant
for reactions of terpenes and related compounds of
predominantly biogenic origin.

The rate constants for atmospheric reactions of
aliphatic hydrocarbons depend on the type of reaction
partner as well as the chemical structure of the

hydrocarbons. They cover the range from collision
frequency-limited rate constants to effectively zero.
With very few exceptions, the relevant rate constants
for reactions of aliphatic hydrocarbons in the tropo-
sphere have been studied in laboratory experiments
and are reasonably well understood. Table 1 presents
examples of rate constants for reaction of some of the
most important aliphatic hydrocarbons with OH
radicals, ozone, Cl, and the NO3 radical. The rate
constants are given for standard conditions, that is, a
temperature of 298K and a pressure of 1000 hPa.
Most of the rate constants for the reaction types
mentioned above are temperature-dependent. The
temperature in the troposphere varies substantially
and this has tobe consideredwhenusing rate constants
for calculations under nonstandard conditions. With
extremely few exceptions, the rate constants do not
depend on pressure for the pressure range that is
relevant for the troposphere.

As mentioned above, the tropospheric removal of
alkanes is almost entirely due to reaction with OH
radicals. Thus their atmospheric lifetime, talkane, can
be calculated from the rate constant for reaction with
OH radicals ðOHkalkaneÞ and the OH radical concen-
tration [OH] as in eqn [1].

talkane ¼ ðOHkalkane½OH�Þ�1 ½1�

Table 1 Rate constants (k ) for the reaction of some alkanes and alkenes with OH radicals, ozone, chlorine atoms, and NO3 radical at

298K and 1 atmosphere total pressure of aira

Compound OH Ozone Chlorine NO3

(cm3molecule� 1 s� 1) (cm3molecule�1 s�1) (cm3molecule� 1 s� 1) (cm3molecule�1 s� 1)

Ethane 2.5� 10� 13 5.9� 10� 11 1.4�10�18

Propane 1.1� 10� 12 1.4� 10� 10 1.7�10�17

n-Butane 2.4� 10� 12 2.2� 10� 10 4.6�10�17

Isobutane 2.2� 10� 12 1.4� 10� 10 1.1�10�16

n-Pentane 4.0� 10� 12 2.8� 10� 10 8.7�10�17

Isopentane 3.7� 10� 12 2.2� 10� 10 1.6�10�16

n-Hexane 5.5� 10� 12 3.4� 10� 10 1.1�10�16

n-Heptane 7.0� 10� 12 3.9� 10� 10 1.5�10�16

Cyclohexane 7.2� 10� 12 3.5� 10� 10 1.4�10�16

Ethene 8.5� 10� 12 1.6�10�18 9.9� 10� 11 2.1�10�16

Propene 2.6� 10� 11 1.0�10�17 2.3� 10� 10 9.5�10�15

1-Butene 3.1� 10� 11 9.6�10�18 2.2� 10� 10 1.4�10�14

2-Methylpropene 5.1� 10� 11 1.1�10�17 3.3�10�13

1-Pentene 3.1� 10� 11 1.0�10�17

2-Methyl-2-butene 8.6� 10� 11 4.0�10�16 9.4�10�12

2,3-Dimethyl-2-butene 1.1� 10� 10 1.13� 10� 15 5.7�10�11

1,3-Butadiene 6.6� 10� 11 6.3�10�18 4.2� 10� 10 1.0�10�13

Ethyne 9.0� 10� 13 7.4� 10� 11

aTaken from: AtkinsonR (1994)Gas phase tropospheric chemistry of organic compounds. J. Phys. Chem.Ref. Data,Monogr. 2: 11–216;

Atkinson R (1997) Gas-phase tropospheric chemistry of volatile organic compounds: 1. Alkanes and alkenes, J. Phys. Chem. Ref. Data,

26: 215–290; Atkinson R, Baulch DL, Cox RA, et al. (1997) Evaluated Kinetic and Photochemical Data for Atmospheric Chemistry:

Supplement VI IUPAC Subcommittee on Gas Kinetic Data Evaluation for Atmospheric Chemistry. J. Phys. Chem. Ref. Data, 26:

521–1011; Stutz J, Ezell MJ, Ezell A, Finlayson-Pitts BJ (1998) Rate constant and kinetic isotope effect in the reaction of atomic chlorine

with n-butane and simple alkenes at room temperature. J. Phys. Chem. 102: 8510–8519.
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In the case of alkenes, the reaction with ozone has also
to be considered and we obtain eqn [2].

talkene ¼ ðOHkalkene½OH� þO3 kalkene½O3�Þ�1 ½2�

In eqn [2], talkene is the atmospheric lifetime of the
alkene; OHkalkene is the rate constant for reaction of the
alkene with OH radicals; O3kalkene is the rate constant
for reaction of the alkene with ozone; and ½O3� is the
ozone concentration.

The rate constants for reactions of individual
aliphatic hydrocarbons range over several orders of
magnitude; some examples demonstrating the differ-
ences in reactivity between individual aliphatic hy-
drocarbons towards OH and NO3 radicals, Cl and
ozone are given inTable 1. The atmospheric lifetime of
a specific aliphatic hydrocarbon depends strongly on
its chemical structure, ranging from severalmonths for
ethane to well below one hour for some of the most
reactive alkenes. Figure 4 gives an overview of the
average atmospheric lifetimes for some of the most
abundant aliphatic hydrocarbons. The concentrations
of OH radicals and ozone in the troposphere exhibit a
very high spatial and temporal variability; further-
more, many of the rate constants for reaction of
hydrocarbons with OH radicals or ozone have signif-
icant temperature dependence. As a result, the atmos-
pheric lifetimes of aliphatic hydrocarbons are highly
dependent on time and location and the values
presented in Figure 4 can serve only as a general
guideline. Owing to the short atmospheric residence

time for most aliphatic hydrocarbons, conditions
representative of relatively small temporal and spatial
scales often determine the removal rates of the
compounds. It is also important that OH radical and
ozone concentrations as well as temperature exhibit
strong, systematic variations with season, latitude,
and altitude, which result in corresponding systematic
variations of the local atmospheric lifetimes of hydro-
carbons.

In principle, eqns [1] and [2] allow a very simple
calculation of the atmospheric lifetime or loss rate of
aliphatic hydrocarbons for any given temporal or
spatial scale. However, this requires knowledge not
only of the relevant rate constants but also of the OH
radical concentration and, for alkenes, of the ozone
concentration. The rate constants and their tempera-
ture dependence are generally known from laboratory
experiments and tropospheric concentration of ozone
is generally reasonablywell understood.However, our
knowledge of the spatial and temporal variation of the
OH radical concentration is still very limited. Conse-
quently, there will be substantial uncertainties in
estimates of atmospheric lifetimes for aliphatic hy-
drocarbons for specific situations. Nevertheless, there
are some general dependences of the OH radical
concentration that can be used to derive some simple
guidelines for describing systematic temporal and
spatial dependences of the lifetimes of aliphatic
hydrocarbons. Their atmospheric residence times
generally decrease from high to low latitudes and are
longer in winter than in summer. This summer/winter
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difference ismore pronounced at high latitudes than at
low latitudes. Furthermore, the removal rates of
aliphatic hydrocarbons exhibit a very pronounced
diurnal variability, with the fastest losses occurring
around noon and very slow, often marginal, chemical
removal during the night.

Formation of Secondary Pollutants

Ultimately, all atmospheric hydrocarbons are oxidized
to carbon dioxide and water. However, this occurs via
complex reaction sequences comprising many indi-
vidual steps and several of the products formed
directly in these reactions or indirectly from products
of these reactions are important for the chemistry of
the atmosphere. Thus, aliphatic hydrocarbons are
important precursors for a number of important
secondary atmospheric pollutants. Specifically, the
oxidation of aliphatic hydrocarbons plays amajor role
in the formation of tropospheric ozone and other
photooxidants such as peroxides and peroxyacetyl
nitrate. Aliphatic hydrocarbons are also precursors for
a variety of oxygenated compounds such as aldehydes,
ketones, and carboxylic acids as well as organic
nitrates. The yield of condensable organic compounds
from atmospheric oxidation of most aliphatic hydro-
carbons is very small and generally limited to com-
pounds with six or more carbon atoms.

Here we give a brief overview of the reactions
that result in the formation of the most important
oxidation products of aliphatic hydrocarbons. Since
the initial steps for reactions of alkanes and unsatu-
rated compounds are fundamentally different, these
two groups of compounds will be treated separately,
although the types of products and the subsequent
reactions show strong similarities.

Alkanes The reaction of alkanes with OH radicals is
entirely by abstraction of a hydrogen atom from a
carbon atom and results in the formation of an alkyl
radical (eqn [I]).

RHþ �OH ! R� þH2O ½I�
For most aliphatic hydrocarbons this reaction can
occur on different, nonequivalent carbon atoms.
Generally, the most stable alkyl radical, that is, the
one with the higher number of alkyl groups attached,
is formedpreferentially; for example, in the reaction of
propanewithOHradicals the 2-propyl radicalswill be
preferred over the 1-propyl radical.

In the atmosphere this step initiates a chain reaction
that, depending on the concentration of other atmos-
pheric trace constituents, results in the formation of
several other radicals and generally the recycling of the
OH radical.

The next reaction step is rapid addition of anoxygen
molecule (eqn [II]).

R� þO2 ! RO�
2 ½II�

In the presence of significant levels of NO, as a rule
of thumb more than 40 pmolmol� 1, the reaction
chain proceeds predominantly via (eqn [III]).

RO�
2 þNO ! RO� þNO2 ½III�

For peroxy radicals with larger alkyl groups, addition
ofNO, followed by isomerization and formation of an
alkyl nitrate, is to some extent an alternative pathway
(eqn [IV])

RO�
2 þNO ðþMÞ ! RONO2 ðþMÞ ½IV�

For small alkyl groups, such as ethyl or propyl,
reaction via [IV] contributes only a few percent or
less, but for alkyl groups with six or more carbon
atoms this pathway can contribute 10–35%. Thus
reaction [IV] can be an important source for alkyl
nitrates in the atmosphere.

At low NO levels, the alkyl peroxy radical reacts
further with other peroxy radicals (RO�

2 or HO�
2) as

illustrated in eqn [V].

RO�
2 þHO�

2 ! ROOHþO2 ½V�
The reaction of the alkoxy radical formed in [III] is

highly dependent on the structure of the alkyl group.
For radicals of the type RR0HCO� or RH2CO

�, the
abstraction of a hydrogen atomby anoxygenmolecule
is the preferred route (eqn [VI]).

RR0HCO� þO2 ! RR0COþHO�
2 ½VI�

Alternatively, scission of a C–C bond to form a
carbonyl compound and an alkyl radical or isomer-
ization to a hydroxyalkyl radical can occur. In the
alternative atmosphere, the radicals formed by both of
these alternative processes will rapidly add an oxygen
molecule and the newly formed peroxy radical will
undergo a reaction chain analogous to that outlined
above.

Depending on the concentration of the reactants,
the HO�

2 radical formed by reaction [VI] will react
with NO, ozone, or other peroxy radicals. In the
presence ofNO, the reactionwill be similar to [III] and
will recycle the OH radical, as in eqn [VII].

HO�
2 þNO ! OH� þNO2 ½VII�

Alternatively, at very low NO concentrations, the
reaction sequence proceeds analogously to [V] or by
reaction with ozone (eqn [VIII]).

HO�
2 þO3 ! OH� þ 2O2 ½VIII�
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Reactions [VII] and [VIII] regenerate the OH radical
consumed in the initial reaction step. Consequently,
the atmospheric oxidationof alkanes is anOHradical-
initiated chain reaction. It is important that the
conversion of NO into NO2 by reactions [III] and
[VII] is not a net loss ofNOsince during daytimeNO is
regenerated by photolysis of NO2 as in eqn [IX].

NO2 þ hn ! NOþO ½IX�
The oxygen atom formed in this reaction recombines
in the atmosphere with an oxygen molecule, resulting
in the formation of ozone. The efficiency of the
formation of ozone by the atmospheric oxidation of
hydrocarbons thus depends on NO concentration.

Alkenes Although the initial step of the reaction of
unsaturated aliphatic hydrocarbons is addition to the
double bond instead of abstraction of a hydrogen
atom, in the troposphere the subsequent reaction
chain has many similarities to the oxidation of
saturated hydrocarbons. The most obvious difference
is that alkenes react very rapidly with OH radicals,
often orders of magnitude faster than the alkanes.
The addition of the OH radical to an alkene results
in the formation of a b-hydroxyalkyl radical (e.g.
[X]), which then, analogously to [II], rapidly adds an
oxygen molecule forming a b-hydroxyalkylperoxy
radical ([XI]).

CH2¼CH2 þOH ! �CH2–CH2OH ½X�
�CH2–CH2OHþO2 ! �O2CH2–CH2OH ½XI�

These radicals react very similarly to the alkylperoxy
radicals [III]. In the presence of NO, the preferred
reaction is the formation of a b-hydroxyalkoxy radical
([XII]).

�O2CH2�CH2OHþNO

! �OCH2�CH2OHþNO2 ½XII�
Analogously to the alkane oxidation, alternative
reactions that are important at very low NO concen-
trations are with peroxy radicals and alkylperoxy
radicals. In the atmosphere the b-hydroxyalkoxy
radicals react with molecular oxygen, or decompose,
or isomerize, similarly to the alkylperoxy radicals (see
above).

One major difference between the atmospheric
chemistry of alkanes and alkenes is the possibility
that reaction with ozone can be relevant for alkenes.
The reaction results in the formation of a carbonyl
compound and an excited Criegee intermediate
({COOn).

{C¼CzþO3 ! {COþ{COOn ½XIII�

In the troposphere, the excited Criegee intermediate
can undergo a variety of different reactions, the most
important channels being collisional deactivation,
decomposition, or isomerization. These reaction
channels branch further into formation of a variety
of more or less complex molecules and radicals,
depending on the structure of the alkene precursor.
One very important reaction channel is the formation
of OH radicals by the decomposition of excited
Criegee intermediates. OH radicals are formed by
the initial decomposition step as well as during further
reactions of other radical species formed by the decay
of the Criegee intermediate. Especially at night, when
direct photochemical formation of OH radicals is not
possible, alkene ozonolysis could be an important
source of free radicals.

Qualitatively, the effect of the atmospheric oxida-
tion of alkenes on the chemistry of the troposphere is
very similar to that of alkanes. However, owing to
their higher reactivity, alkenes often play a more
important role in the chemistry of the troposphere,
especially in areas directly influenced by strong, local
or regional emissions. Furthermore, the oxidation of
alkenes generally results in more complex molecules
and products, increasing the complexity of the chem-
istry of the polluted troposphere.

Atmospheric Distribution

During the last three decades, techniques for quanti-
tatively determining hydrocarbons in air at very low
mixing ratios have been developed, making possible
studies of the atmospheric distribution of hydrocar-
bons. The most widely used measurement technique
for aliphatic hydrocarbons is gas chromatography in
combination with cryogenic concentration of the
hydrocarbons prior to the chromatographic separa-
tion. This method allows analysis of a wide range of
hydrocarbons with detection limits in the lowest
pmolmol�1 range, sufficient for reliable measure-
ments of relevant concentrations of aliphatic hydro-
carbons under most conditions. Generally, whole-air
samples are collected in airtight sample containers and
transferred to the laboratory for analysis, but during
the last ten years in situ instrumentation has also been
used in a substantial number of studies. Optical and
mass spectrometric techniques are also available,
although at present they are mainly used for specific
applications, such as on mobile platforms and for
applications where high temporal resolution is
essential.

Although there are numerous series of measure-
ments of aliphatic hydrocarbons in the troposphere,
the temporal and spatial distribution of the hydrocar-
bon concentrations is only partly known. This is
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primarily due to the high, often seemingly random,
variability of the concentrations of many of the
reactive aliphatic hydrocarbons. Consequently, meas-
urements of their concentrations are generally repre-
sentative only on local or regional scales. Only for
ethane, the least reactive of the aliphatic hydrocar-
bons, has a well-defined and representative global
distribution been derived.

The sum of the atmospheric concentrations of
aliphatic hydrocarbons ranges from several hundred
nmolCmol� 1 in urban, polluted regions to a fraction
of a nmolCmol� 1 in the remote Southern Hemi-
sphere. The concentrations of individual compounds
cover an even wider range; for reactive aliphatic
compounds with short atmospheric lifetimes,
the concentration in truly remote regions, such as
the Southern Hemispheric oceans, is often below
1pmolmol�1.

The distribution of the concentration of aliphatic
hydrocarbons in the troposphere is determined by the
interaction of three processes: (1) emissions; (2)
atmospheric transport, dilution, and mixing; (3)
removal. Since all three processes themselves show a
complex dependence on time and location, substantial
variability of the concentrations of aliphatic hydro-
carbon in the troposphere can be expected. Neverthe-
less, a part of this variability is systematic. Generally,
atmospheric concentrations of aliphatic hydrocarbons

decrease rapidly with increasing distance from the
source regions. Furthermore, the variability of the
concentrations of aliphatic hydrocarbons increases
with decreasing atmospheric lifetime, which means
with increasing reactivity towards OH radicals and
ozone. This is observed for systematic dependences as
well as seemingly random variations. Figure 5 dem-
onstrates the impact of local and regional sources on
the average concentrations of aliphatic hydrocarbons
observed at different locations characterized by dif-
ferent levels of anthropogenic influence. Examples of
large-scale distributions are given in Figure 6. The
strong north–south gradients in the latitudinal distri-
butions reflect primarily the large-scale distribution of
the sources, but it has to be remembered that atmos-
pheric transport and removal processes also play a
major role in determining the shape of the latitudinal
profiles; specifically, the atmospheric degradation of
aliphatic hydrocarbons by reaction with OH radicals
is faster at low latitudes, a consequence of the
latitudinal gradient of the OH radical concentration.

Similarly, the vertical profiles of the concentration
of aliphatic hydrocarbons depend strongly on local
and regional emission rates and the atmospheric
lifetime of the compound. Since aliphatic hydrocar-
bons are almost exclusively emitted at ground level,
the impact of regional and local sources is especially
pronounced at low altitudes, specifically within the
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atmospheric boundary layer. Furthermore, both sys-
tematic and apparently random variations are more
pronounced for the more reactive compounds. This is
illustrated in Figure 7. At lower altitudes, the average
concentration profiles over the North American east
coast are systematically elevated relative to the mid
and upper troposphere.

The temporal variability of the concentrations of
aliphatic hydrocarbons in the troposphere is, on larger
scales, primarily drivenby the seasonal variationof the
OH radical concentration and their atmospheric

concentrations have minima in summer or early fall
and maxima in winter or early spring. It is therefore
not surprising that seasonal cycles in the Southern
Hemisphere are shifted by 6months relative to those in
the Northern Hemisphere and that the seasonal
variability in the tropics is less pronounced than at
mid-latitudes. Furthermore, primarily owing to the
lower emission rates (see above), the mixing ratios of
aliphatic hydrocarbons in the Southern Hemisphere
are substantially lower than in the Northern Hemi-
sphere. As an example, the seasonal varibility of
ethane is shown in Figure 8 for different latitude belts.

Over remote continental regions, the seasonal cycle
of aliphatic hydrocarbons is driven primarily by the
seasonal variability of the OH radical. In general, the
relative amplitude between winter and summer is
more pronounced for compounds with higher reac-
tivity toward OH radicals. However, in the vicinity of
strong sources, (e.g., big cities or major industrial
centers), the atmospheric mixing ratios are heavily
influenced by transport and dilution processes on local
scales. Under these conditions, the seasonal variability
of aliphatic hydrocarbons is often weak or insignifi-
cant and the winter/summer difference in urban areas
often does not follow the pattern expected from the
seasonal variation of OH radical-driven atmospheric
removal (see Figure 5).

In urban areas, the concentrations of aliphatic
hydrocarbons often show distinct diurnal patterns,
with high values in the morning and lower concentra-
tions in the afternoon. Although OH radical concen-
trations have distinct diurnal variations, with high
values around noon and in the early afternoon and
very low values at night, in the late evening, and in the
early morning, the diurnal variability of the chemical
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removal rate is very seldom the main driving
force behind this diurnal variability. Very often the
diurnal cycle of aliphatic hydrocarbons is driven
by diurnal variations in atmospheric transport or
mixing processes and the emission rates, which is
consistent with the finding of generally very similar
composition patterns in morning and afternoon
independently of the reactivity of the aliphatic
hydrocarbons.

Glossary

NMHC Nonmethane hydrocarbons, all hydrocar-
bons except methane.

Isoprenoids Compounds derived from and including
isoprene and terpenes.

Tg yr� 1 Teragrams per year (unit for emission rates).
NOx Sum of NO and NO2.
NO3 Nitrate radical.
OHkalkane Rate constant for reaction of an alkanewith
OH radicals.

salkane Atmospheric lifetime of an alkane.
salkene Atmospheric lifetime of an alkene.
OHkalkene Rate constant for reaction of an alkene with
OH-radicals.

O
3kalkane Rate constant for reaction of an alkene with
ozone.

RO2 alkylperoxy radical.
nmolmol� 1 Concentration (ormixing ratio) of 10�9

moles permole. Equivalent to a volumemixing ratio
1 ppb, or 1 ppbv, or a molar fraction of 10�9.

pmol mol�1 Concentration (or mixing ratio) of
10�12 moles per mole. Equivalent to a molar
fraction of 10�12.

nmol Cmol� 1 Nanomoles (nmol) of carbon permole
(of air): equal to the concentration (in nmol mol� 1)
multiplied by the number of carbon atoms in the
compound.

See also

Aircraft Emissions. Arctic Haze. Chemistry of the
Atmosphere: Chemical Kinetics; Gas Phase Reactions.
Diurnal Cycle. Observations for Chemistry (In Situ):
Gas Chromatography. Ozone: Photochemistry of Ozone;
Surface Ozone (Human Health). Tropospheric Chemis-
try and Composition: Aromatic Hydrocarbons; Biogenic
Hydrocarbons (inc. isoprene); Hydroxyl Radical; Oxidizing
Capacity; PAN; VOCs Overview.
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Introduction

Ammonia (NH3) is a colorless gas. It is a base and is the
only trace gas that is able to neutralize acids in the
atmosphere generated by the oxidation of sulfur
dioxide (SO2) and nitrogen oxides (NOx). Owing to

this neutralization, particulate NH4
1 is formed. NH4

1

is a major component of atmospheric aerosols and
precipitation.

NH3 and NH4
1 (collectively termed NHx) are

nutrients. Continuous exposure to NH3 concentra-
tions higher than 11 parts per billion by volume may
cause damage to very sensitive natural vegetation.
Excessive deposition of nitrogen compounds (both
NHx and NOx and reaction products) to seminatural
and natural ecosystems leads to a competitive
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exclusion of plant species by more nitrophilic ones.
Nitrogen deposition can also increase the susceptibil-
ity of plant species to secondary stress factors such as
drought, frost, and pathogens. In the atmosphere 1
molecule ofNH3 binds 1molecule ofH+ to formNH4

+.
When NH4

+ is deposited nitrification can occur. Then
not only the H+ bound in the atmosphere is released
again, but also one additionalH+molecule is formed in
the form of nitric acid (HNO3). In that way NH3

contributes to acidification of the soil even though it
reduces acidification in the atmosphere.

In some estuaries and other sea areas, nitrogen is the
limiting factor for algal growth and nitrogen deposi-
tion may therefore lead to algal blooms. When algae
die and are deposited at the bottom of the sea, they
decompose. Oxygen is consumed in the decomposi-
tion,which leads to oxygen depletion in thewater near
the bottom. In serious cases thismay cause the death of
fish and benthic fauna.

Atmospheric removal processes for particles are a
function of the particle size. For that reason it is
important to know that NH4

1 is predominately found
in the fine particles (0:1 mmodiametero1 mm), al-
though a minor fraction is found in coarse particles
(diameter > 1 mm).

Inmost cases concentrationswill be given as volume
fractions.Avolume fractionof 1 � 10� 9 is commonly
referred to as ‘one part per billion’ (ppbv); a volume
fraction of 1 � 10�12 is referred to as ‘one part per
trillion’ (pptv). Volume fractions can be converted to
mass concentrations in mgm�3 (at 15�C and 1 atmos-
phere (101.325 kPa)): for NH3, a volume fraction
of 1�10�9¼1 ppbv¼1000 pptv¼0:72mgm�3; for
NH4

1, a volume fraction of 1�10�9 ¼ 1ppbv ¼
1000 pptv ¼ 0:76 mgm�3.

NH3 is mainly emitted from agricultural sources.
Owing to its high solubility in water, NH3 is removed
rapidly by both dry and wet deposition. NH3 reacts
rapidly with acid aerosols and gases to form particu-
late NH4

1. NH4
1 is found in fine particles, which are

not removed efficiently by dry deposition but are
removed rather efficiently by wet deposition. Because
of the low height of NH3 sources and the relatively
high dry deposition velocity ofNH3, dry deposition of
NH3 near sources is relatively high. Dry deposition of
NH3 close to the source (up to 50 km) and wet
deposition of particulateNH4

1 at larger distances from
the sources are the dominating removal mechanisms
of NHx.

The sources and sinks of NH3 and NH4
1 are

discussed in the following as well as the transport
distance of NHx. Typical concentrations and deposi-
tions are given. Much NHx research has been done in
north-western Europe and as a result knowledge about
NHx is somewhat biased to the European situation.

Some Important Physicochemical
Properties

Ammonia is a soluble gas: NH3ðairÞþH2OÐNH3 .

H2O.Ameasure of the solubility of a gas is theHenry’s
law coefficient HNH3

, which relates the NH3 concen-
tration in air to the concentration in water at equilib-
rium (eqn [1], where T is the temperature in kelvin).

HNH3
¼ NH3 .H2O½ �

NH3ðairÞ½ �
¼ 5:53�10�4 exp 4092

1

T
� 1

298:15

� �� �

mol l�1 Pa�1 ½1�

The equilibrium constant KNHþ
4

for the reaction
NH3 .H2OþHþÐNHþ

4 þH2O is given by eqn [2].

KNHþ
4
¼ NH3 .H2O½ �½Hþ�

NHþ
4

� � ¼ 5:67�10�10

�exp �6286
1

T
� 1

298:15

� �� �
mol l�1 ½2�

From eqns [1] and [2] we can derive eqn [3], where
f ¼ KNHþ

4
=HNH3

is given in eqn [4].

NH3½ �air¼ f
½NHþ

4 �
½Hþ� Pa ½3�

f ¼
KNHþ

4

HNH3

¼ 1:025�10�6

�exp �10378
1

T
� 1

298:15

� �� �
Pa ½4�

BothKNHþ
4
andHNH3

are functions of the temperature
in such a way that [NH3]air doubles for each 5�C
increase in temperature. This strong temperature
dependence plays an important role in the emission
and dry deposition processes for NH3: the NH3

emission rate from manure and fertilizer increases
with temperature, as does the emission rate associated
with theNH3 compensation point of vegetation or sea
water (see the section on Surface Exchange).

Emission of NH3

Table 1 and Figure 1 show the global NH3 emissions.
They are of the same order as the global NOx

emissions. Most of the NH3 originates from agricul-
ture, especially from domestic animals, and virtually
no particulateNH4

1 is emitted. Thismeans that almost
all the NH4

1 in the atmosphere originates from NH3

emissions. A minor fraction of nitrogen emissions
from animal husbandry is in the form of amines
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(0.15 � 106 tN y� 1), of which most in the form of
trimethylamine. Some of the sources, such as emis-
sions from agricultural crops and the sea, are very
uncertain. Moreover, there may be some sources of
lesser importance that are not known. Preindustrial
global NH3 emissions are estimated to be of the order
of 15–20 � 106 tonnes N, 30–40% of the present
values. It should be noted that there were substantial
emissions from animal husbandry in preindustrial
times.

The emission rate from applied manure and ferti-
lizer depends not only on temperature but also onwind
speed. Thismeans that the emission rate increaseswith
the wind speed just as the diffusion and the dry
deposition velocity ofNH3 and particulate NH4

1. This
codependence on meteorology needs to be taken into
account in atmospheric transport models. Seasonal
variations in the emission rate are not well known, but

emissions in temperate zones will be lowest in winter-
time (lower temperature, less spreading ofmanure and
fertilizer).

Surface Exchange

Flux

The fluxofNH3between the atmosphere and a surface
(manure, urine, soil, vegetation,water, etc.) is given by
eqn [5].

F ¼ �ve;zref cair;zref � csurface
� 	 ½5�

In eqn [5], F is the flux (kgm� 2 s� 1); it is by definition
negative if material is removed from the atmosphere.
ve;zref is the exchange velocity (m s�1) at reference
height zref (m); cair;zref is the NH3 concentration in air
(kgm� 3) at reference height zref; and csurface is theNH3

concentration in the air that would be in equilibrium
with the aqueous NH3 concentration in the surface
(kgm� 3; this concentration is often named the com-
pensation point. This is because the flux becomes zero
when cair; zref becomes as large as csurface).

It can be seen from eqn [5] that dry deposition
occurs when cair; zref > csurface and that emission occurs
when cair; zref > csurface. The dry deposition velocity
vd; zref (m s–1) for a reference height zref (m) is given by
eqn [6] by definition.

vd;zref 
 � F

cair;zref
½6�

From eqns [5] and [6] it can be seen that vd;zref ¼ ve;zref
if csurface is zero. If csurface is not zero, but F is still
negative, then csurface is somehow included in vd,
usually in the form of an additional surface resistance
rc (see the section on Dry Deposition below). If F is
positive, there is emission and the concept of a dry
deposition velocity cannot be used.

Compensation Point

The compensation point at fixed NH4
1 and H1

concentrations increases with temperature according
to eqns [3] and [4].

Seminatural areas In seminatural areas like heath-
land and forest, the compensation point csurface is very
often so low that it does not play a role and only dry
deposition occurs. In some cases, however, when air
concentrations are very low, under very dry condi-
tions, or at high temperatures, emission has been
observed.

Agricultural areas Agricultural crops have NH3

compensation points that vary in volume fraction
from 0.1 � 10� 9 to 20 � 10�9. These compensation

Table 1 Global NH3 emissions for 1990

Source Emission

(10 6 tN y� 1)

Dairy cattle 4.3

Nondairy cattle 8.6

Buffaloes 1.2

Camels 0.2

Horses, mules, and asses 0.5

Sheep and goats 1.5

Pigs 3.4

Poultry 1.9

Subtotal domestic animals 21.6

Human and pet excrement 2.6

Synthetic fertilizers 9.0

Agricultural crops 3.6

Biomass burning in agriculture

and biofuel use

2.7

Deforestation 1.4

Fossil fuel combustion 0.1

Industry 0.2

Subtotal anthropogenic

emissions

41.2

Wild animals 0.1

Soils under natural vegetation 2.4

Biomass burning in natural

ecosystems

1.8

Seas 8.2

Subtotal natural emissions 12.5

Total 53.7

Range (40–70)

Adapted from Bouwman AF, Lee DS, Asman WAH, Dentener FJ,

van der Hoek KW, Olivier JGJ (1997) A global high-resolution

emission inventory for ammonia. Global Biochemical Cycles 11:

561–587. Copyright 1997 by the American Geophysical Union.
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points are higher than those of the natural vegetation
because of the high nitrogen input in agricultural
systems. This is well within the range of atmospheric
concentrations, which means that fluxes over agricul-
tural crops are essentially bidirectional: both dry
deposition and emission occur. The compensation
point depends on the plant species, meteorological
conditions, and stress due to drought, diseases, or
pests. Crops show a net NH3 emission of the order of
100–500 kgNkm�2 y�1 during a growing season.

Sea The compensation point and the concentrations
in the air are such that the Atlantic and Pacific Oceans
and remote areas of the North Sea show a net annual
NH3 emission. Close to coast, the NH3 concentration
in air can be so high that there is a net annual
deposition of NH3. This is the case, for example, for
parts of the North Sea and the Baltic.

Dry Deposition of NH3

In humid climates, such as in north-western Europe,
NH3 is not only taken up by the stomata but is also dry
deposited onto the leaves, which are often covered
with a thin water layer into which NH3 dissolves. In

these areas the dry deposition velocity is reduced at
high NH3 concentrations. In drier climates, water
layers do not occur so often and for that reason a lower
dry deposition velocity is to be expected.

There are variousmodels that describe the exchange
process. In these models resistance analogies are used
similar to that of Ohm’s law for electricity. The
resistances are in series if the processes that the
resistances describe occur sequentially and are in
parallel if the processes occur simultaneously. It
should be noted here that the flux in the lowest part
of the atmosphere is independent of the height.

Figure 2A shows the simplest model for surface
exchange ofNH3.With thismodel it is only possible to
describe dry deposition and not emission. Moreover,
the surface is treated as a whole and not as separate
parts with different resistances for exchange/uptake.
This model can be used for (semi) natural vegetation
where the compensation point is not likely to play an
important role. The flux is then given by the dry
deposition part of eqn [5], as in eqn [7].

F ¼ �vd;zrefcair;zref ¼ � 1

ra;zref þ rb þ rc
cair;zref ½7�
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Figure 1 Modeled global NH3 emission (gNm�2 y�1) on a 1��1� grid. (Reproduced from Bouwman AF, Lee DS, Asman WAH,

Dentener FJ, van der Hoek KW, Olivier JGJ (1997) A global high-resolution emission inventory for ammonia.Global Biochemical Cycles

11: 561–587. Copyright 1997 by the American Geophysical Union.
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In eqn [7], ra;zref is the aerodynamic resistance (sm�1),
which describes the resistance to transport by turbu-
lent diffusion in the atmosphere from an arbitrary
reference height zref to the laminar boundary
layer; rb is the laminar boundary layer resistance
(sm� 1), which describes the resistance to transport
through a thin nonturbulent layer above the
surface; and rc is the surface resistance (sm�1), that
is, the resistance for uptake by the surface. This
resistance depends on the properties of the compound
and the surface.

The term ra; zref (sm
�1) is given by eqn [8].

ra;zref ¼
1

kun

� ln
zref � d

z0m

� �
�CH

zref � d

L

� �
þCH

z0m
L

� �� �
½8�

Here k is the von Karman constant (dimension-
less: 0.4); un is the friction velocity (m s–1; this is a
measure of turbulence); d is the displacement
height (m) (d is typically 0.7 times the vegetation
height); z0m is the surface roughness height (m) (z0m
is typically 0.1 times the vegetation height and is a
measure of the roughness of the surface); and L is the
Monin–Obukov length (m), ameasure of atmospheric
stability.

The function CH is a correction for atmospheric
stability, given by eqn [9a] for stable atmospheric

conditions (L > 0) and by eqn [9b] for unstable
atmospheric conditions (Lo0).

CH ¼ �5
zref � d

L

� �
ðL > 0Þ ½9a�

CH ¼ 2 ln
1þ x2

2

� �
ðLo0Þ ½9b�

x ¼ 1� 15
zref � d

L

� �� �1=4

For neutral atmospheric conditions a very large value
of L should be taken so that the last two terms in
eqn [8] become zero.

The term rb for vegetation is given by eqn [10],
where Pr is the Prandtl number (dimensionless: value
0.72) and Scg is the Schmidt number for gases
(dimensionless: Scg ¼ 0:662 for NH3).

rb ¼ 2 Scg=Pr
� 	2=3

kun

½10�

For NH3, rb ¼ 4:73=un.
From eqns [7], [8], and [10] it can be shown

that vd increases with un (i.e., with wind speed).
Moreover, vd is larger over forests than over moor-
land owing to the larger un, which is caused by a
larger z0m.

Cair Cair Cair Cair

rvgd

rvgwrb

rb

ra
ra

rb

ra

rb

rc
rc

rcut rst

Ccan

ra

Csurf = 0 Csurf > 0 Csurf = 0Ccut = 0 Cst > 0

(A) (B) (C) (D)

Figure 2 Resistance models of dry deposition for (A) NH3 to natural vegetation; (B) NH3 to agricultural crops and (sea) water (simple);

(C)NH3 to agricultural crops (complex) (st5 stomata, cut5 cuticula, can5 canopy, surf5 surface); and (D)NH4
1 to (sea)water (rvgd is the

resistance due to gravitational settling of the dry particles and rvgw is the resistance due to gravitational settling of wet particles).

TROPOSPHERIC CHEMISTRY AND COMPOSITION / Ammonia and Ammonium 2369



The following parameterization can be used for rc
(sm� 1) for humid seminatural ecosystems and forests
in north-western Europe.

� For temperatures > 1�C: daytime dry (relative
humidityo60%, temperature > 15�CÞ; rc ¼ 500;
daytimewet, rc ¼ 0; nightime dry, rc ¼ 1000; night-
time wet rc ¼ 0. During dry daytime periods it is
estimated that emission can occur at ambient
volume fractions less than about (0.5–1) � 10� 9.

� For temperatures between �5�C and �1�C a value
of rc ¼ 200 is chosen. Avalue of about 30–60 sm�1

seems to be a reasonable guess for an annually
averaged rc under these conditions. This leads to
an average vd for ðzref � dÞ ¼ 1m of about
1.2 � 10–2m s�1 for low vegetation and an average
vd for ðzref � dÞ ¼ 10mof about 2.5 � 10� 2m s�1

for forests.
� For the drierMediterranean ecosystems, an average
rc value of 100–150 sm

� 1 is suggested.

Figure 2B shows a simple model that can handle
bidirectional fluxes and can be used not only for
vegetation but also for the sea. The flux with this
model can be described by eqn [11].

F ¼ � 1

ra;zref þ rb þ rc
cair;zref � csurface
� 	 ½11�

For such types of models it is necessary to have
estimates of both rc and csurface as functions of different
conditions. Currently this information is only known
for a few plant species and for the sea.

For sea water rc is approximately zero and the
compensation point csurface;seaðmgm�3Þ is given by
eqn [12].

csurface;sea ¼
MNH3

½NHx;sea�

RTHNH3

1

gNH3

þ 10�pHsea

gNH4
KNH4

� � ½12�

In eqn [12], MNH3
is the molecular mass of NH3

(17 gmol� 1); ½NHx;sea� is the NHx concentration in
sea water (mmol l�1); R is the gas constant
(8.314 Pam3mol� 1K� 1); gNH3

is the activity coeffi-

cient of NH3; gNHþ
4
is the activity coefficient of NH4

1;

and pHsea is the pH of sea water. gNH3
¼ 1þ 0:085I

for ionic strength I between 0.517 and 1.578 with
I ¼ 0:00147þ 0:01988Sþ 2:08357�10�5S2 and S is

the salinity in parts per thousand [w/w]; gNHþ
4
¼

0:883� 0:0768 lnðSÞ for salinities S between 5 and 40
parts per thousand.

Figure 2C shows amore complicated dry deposition
model where a distinction is being made between the
deposition to the leaf cuticles and the stomata. This
model is especially useful for agricultural crops and
grassland and, for example, makes it possible that

NH3 emitted through the stomata is deposited onto
the cuticles. The canopy compensation point ccanopy is
given by eqn [13], where cstomata is the stomatal
compensation point (kgm� 3).

ccanopy ¼
cair;zref= ra;zref þ rb

� 	þ cstomata=rstomata

ra;zref þ rb
� 	�1þr�1

stomata þ r�1
cuticles

½13�

In this case eqn [11] can be used with rc ¼ 0 and
csurface ¼ ccanopy.

More complicated models can be made that include
the soil and different canopy layers so that recapture of
NH3 emitted from the soil or litter by the vegetation
above can be described.

Dry Deposition of Particulate NH4
1

Once particle containing NH4
1 have reached the

surface they are generally not emitted again; that is,
only dry deposition occurs. The dry deposition veloc-
ity vd (m s� 1) of NH4

1 is parameterized according to
eqn [14], where vg is the gravitational settling velocity
(m s�1) (for fine particles that contain NH4

1, vg can be
neglected as the other terms are more important),
and vds is the surface deposition velocity (m s�1)
(vds ¼ 1=rb), which is different for different surfaces.

vd;zref ¼ vg þ ra;zref þ v�1
ds

� 	�1 ½14�

Equations [15] and [16] are appropriate for vds
corresponding to different canopies and atmospheric
conditions.

For short canopies and an unstable atmosphere
ðLo0Þ

vds ¼
1

rb
¼ 0:002un 1þ �300

L

� �2=3
" #

½15a�

For short canopies and a neutral or stable atmos-
phere ðL > 0Þ

vds ¼
1

rb
¼ 0:002un ½15b�

For tall canopies like forests

vds ¼
1

rb
¼ E

u2
n

utc
½16�

In eqn [16] utc is the wind speed at the top of the
canopy (m s� 1) and E is an efficiency (dimensionless),
which is parametrized for dry and wet surfaces
separately.

For dry surfaces

E ¼ 0:05u0:23
n

ðRH  80%Þ ½17a�

2370 TROPOSPHERIC CHEMISTRY AND COMPOSITION / Ammonia and Ammonium



E ¼ 0:05u0:23
n

� 1þ 0:18 exp
RH� 80

20

� �� �
ðRH > 80%Þ

½17b�
For wet surfaces

E ¼ 0:066u0:41
n

ðRH  80%Þ ½17c�

E ¼ 0:066u0:41
n

� 1þ 0:37 exp
RH� 80

20

� �� �
ðRH > 80%Þ

½17d�
In eqns [17], RH is the relative humidity (%); vd values
44� 10�2m are unlikely.

Measurements show average dry deposition velo-
cities of about 1 � 10�3m s�1 for lowvegetation and
1� 10�2m s� 1 for forests in north-western Europe.
For dry deposition to water, vds is given by eqn [18].

vds ¼
1

rb
¼ u2

n
Sc�1=2 þ 10�3=St
� 	

ku10
½18�

Sc is the Schmidt number ¼ n=Dp, where n is the
kinematic viscosity of air (1.4� 10�5m2 s� 1) andDp

is the diffusivity of the particle in air (m2 s�1). St is the
Stokes number ¼ u2

n
vg=ðgnÞ, where g is gravitational

acceleration (m s� 2) and u10 is the wind speed at 10m
height (m s�1).

Very close to the water surface the air is more humid
and hygroscopic particles grow, which decreases their
diffusivity and increases their fall speed. This growth
depends on the chemical composition of the particle
(see Figure 2D for a deposition model). The dry
deposition velocity to water can be a factor of 3–5
higher at high wind speeds than indicated in Figure 3,
owing to the influence of bursting bubbles associated
with white cap production, which increases withwind
speed. As the bubbles burst, they inject film and jet
drops consisting of seawater into the atmosphere. The
droplets fall back and may collect NH4

1-containing
particles. Moreover, increased turbulence near the
surface caused by these processes can also enhance
particle deposition.

Figure 3 shows vd of NH3 and particulate NH4
1 for

different surfaces as a function of wind speed. It shows
that the vd of NH3 for most surfaces is relatively high
and is 5–10 times higher than that of particulateNH4

1.
This means that NHx after conversion from NH3 to
NH4

1 is dry deposited very slowly andNHx therefore is
transported over long distances. The only efficient
removal process for particulate NH4

1 is in-cloud
scavenging by precipitation.

Wet Deposition

Wet deposition consists of contributions from uptake
in clouds (in-cloud scavenging) and uptake by falling
raindrops and snowflakes under the cloud base
(below-cloud scavenging). Both gaseous NH3 and
particulate NH4

1 can be scavenged and will be found
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Figure 3 Modeled dry deposition velocity of NH3 and particulate NH4
1 as a function of wind speed at 60m over ground level for sea, and

for low and high vegetation. For NH3, a zero surface resistance and compensation point are assumed and for NH4
1 a wet surface and a

relative humidity of 80% are assumed. The calculations are made for neutral atmospheric conditions and a reference height of 5m.

TROPOSPHERIC CHEMISTRY AND COMPOSITION / Ammonia and Ammonium 2371



mainly as NH4
1 in precipitation, as precipitation is

slightly acidic. It is in fact only throughmodels that the
relative importance of the different scavenging pro-
cesses can be estimated. The rate of removal is
expressed as a scavenging coefficient (s� 1) that gives
the fraction of the concentration that is being removed
per second. It shouldbe notedhere that removal bywet
deposition occurs only when it is raining or snowing
(i.e., during 5–10% of the time in north-western
Europe), whereas dry deposition occurs all the time,
including when it is raining.

Below-Cloud Scavenging of NH3

Below clouds, NH3 is taken up by falling raindrops
(typical radius 0.1–1mm). Falling raindrops have
relatively high speeds (0.7–6.5m s�1) and they also
have a much smaller surface-to-volume ratio than
cloud droplets. As a consequence, it takes much more
time to saturate themwithNH3 than themuch smaller
cloud droplets. Thus when raindrops are falling
through a layer containing NH3 most of them are far
away from saturation with NH3 which means that
there is no equilibrium between the concentration in
the drop and the concentration in the air. It is difficult
to derive generalized functions for below-cloud scav-
enging of NH3 with partly saturated raindrops. But as
most drops are far from saturation below-cloud
scavenging can be approximated by assuming that
the drops are not saturated at all, which makes it
possible to generalize the results. In this way an upper
estimate of the below-cloud scavenging coefficient
lb;NH3

(s� 1) is obtained which under convective
conditions for 10�C and a relative humidity is given
by eqn [19], where Imm is the rainfall rate in mmh� 1.

lb;NH3
¼ 9:85�10�5I0:616mm ½19�

The uncertainty in lb;NH3
is at least a factor of 2. For

nonconvective conditions, eqn [19] can also be applied
as a first approximation.

Below-Cloud Scavenging of Particulate NH4
1

The efficiency of below-cloud scavenging of particles
depends on the particle size (and distribution) and the
raindrop size distribution, which is a function of the
rainfall rate. NH4

1 is predominately found in the fine
particles (0:1mmodiametero1mm). For this size
range, the scavenging coefficient is very low: of the
order of 1 � 10� 7 s�1 for a rainfall rate of
0.5mmh� 1, and 1 � 10� 6 s�1 for a rainfall rate of
25mmh� 1.

In-Cloud Scavenging of NH3 and NH4
1

Owing to the high solubility ofNH3 in the acidic cloud
droplets and the large surface-to-volume ratio, most

NH3 in clouds will be taken up into cloud droplets
within a few seconds. Aerosols of the size that contains
mostNH4

1 act as condensation nuclei, somostNH4
1 in

clouds will also be found in cloud droplets. For these
compounds the scavenging rate is determined by the
removal rate of cloud water by precipitation. The in-
cloud scavenging coefficient li;NH3;NHþ

4
for NH3 and

NH4
1 (s� 1) for a rainfall rate of Imm (mmh� 1) is given

by eqns [20a] and [20b].
For clouds with a temperature � 0�C

li;NH3;NHþ
4
¼ 3:5�10�4I0:78mm ½20a�

For clouds with a temperature o0�C

li;NH3;NHþ
4
¼ 2:4�10�4Imm ½20b�

The rainfall rate decreaseswith the cloud height. From
eqns [20a,b] it can be seen that bothNH3andNH4

1 are
removed at a somewhat higher rate by in-cloud
scavenging in the lower part of the cloud than by
below-cloud scavenging.

Reactions

Photochemical Reactions

NH3 reacts with OH radicals according to:

NH3 þOH ! NH2 þH2O

The rate of this reaction is 1:7�10�12exp
ð�710=TÞ cm3 molecule�1 s�1. Assuming [OH]5
5 � 105molecules cm� 3, the calculated lifetime of
NH3 is about 150 days, which is much longer than the
actual lifetime ofNH3. Thismeans that this reaction is
not an important sink for NH3.

Reactions with Acids

NH3 reacts with acids – H2SO4-containing aerosol
(almost all H2SO4 is in the particulate form because it
has a very low vapor pressure) and gaseousHNO3 and
HCl. (NH4)2SO4 as a solid or in aqueous solution is
the thermodynamically preferred form of sulfate. Two
regimes can now be distinguished:

� In an ammonia-poor atmosphere, there is not
enough NH3 present to neutralize all H2SO4; the
aerosol will be acidic and the vapor pressure ofNH3

will be low.
� In an ammonia-rich atmosphere, all the H2SO4 has

reacted with NH3 and the remaining NH3 can then
react with HNO3 or HCl to form particulate
NH4NO3 or NH4Cl. NH4NO3 and NH4Cl may
exist as solid or as aqueous solutions of NH4

1,
NO3

� , and Cl� , depending on the relative humidity
and temperature as well as the presence of other
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inorganic salts. In an ammonia-rich atmosphere,
NH4NO3 or NH4Cl in solid or dissolved form are
generated if the concentration of products in the gas
phase ([NH3][HNO3] [NH3][HCl]) exceed the
threshold value. These threshold values decrease
with temperature: at lower temperature there is
more in the aerosol phase.

The time scale to achieve gas–aerosol equilibrium
varies from one hour to several hours for fine
particles (0:1mmodiametero1 mm). For coarse par-
ticles (diameter > 1 mm) the time scale is so long that
NH3 is generally not in equilibrium with these
particles. The reaction rate of NH3 will show spatial
and temporal variations that depend, for example, on
the amount of acid present. In the late 1980s the
average pseudo-first-order reaction rate from NH3 to
NH4

1 in north-western Europe was about 30%h� 1.
NH4

1 is found to have a positive direct radiative
forcing because it reduces water uptake in SO4

2� -
containing solutions. This means that NH4

1 contrib-
utes to global warming.

Fate of NH3

Figure 4 shows that NHx deposition occurs mainly as
dry deposition of NH3 close to the source and as wet
deposition of particulate NH4

1 at a larger distance
from the source.Whereas NH3 is not transported over
longdistances because of its fast reaction to particulate
NH4

1, NHx is transported over long distances.

Denmark is a country with islands. No significant
NH3 emission will occur from the sea areas between
the islands. For that reason the spatial variation of the
modeled annually averaged concentrations and wet
deposition is very illustrative of how concentrations
and depositions are influenced by the spatial variation
in NH3 emission density. Figure 5 shows that the NH3

concentration is closely correlated to the NH3 emis-
sion density, whereas theNH4

1 concentration does not
‘see’ the individual islands, but sees Denmark as a
whole. This is because the contribution of local NH3

emissions to the local NH4
1 concentration is not large.

For wet deposition of NHx, there is a small local
contribution mainly due to scavenging of NH3.

Concentrations and Depositions

All concentrations and depositions mentioned in this
section are annually averaged concentrations.

Ammonia in Air

At distances of the order of 10–30m from a farm,
volume fractions up to a few hundred parts per 109

have beenmeasured. In agricultural areas, but not very
close to sources, the NH3 concentration is a func-
tion of the emission density and the climatology. For
sites in north-western Europe with an average wind
speed of about 4m s� 1 at 10m height, the NH3

volume fraction can be estimated to be about
1� 10� 9 per 1000mgNm2 y� 1 emission density. In
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Figure 4 Modeled cumulative deposition of different forms as a function of downwind distance from a 1m high point source. The

deposition is integrated over all wind directions and is expressed as a fraction of the NH3 emission. The calculations are based on Dutch
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variable-resolution transportmodel applied forNHx in Europe.Atmospheric Environment 26A: 445–464.Copyright 1992,with permission
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some agricultural areas in The Netherlands, the
annually averaged volume fraction can be up to
20 � 10� 9; in more typical agricultural areas it is
more of the order of (1–2)� 10� 9. In background
areas values are of the order of 0.3� 10�9, and over
the oceans 0.02–0.1� 10� 9. Because of its origin
from ground sources and its reaction with acids, the
NH3 concentration decreases rapidly with height.
Figure 6 shows the spatial variation of the total
(dry1wet) depositionofNHx in an agricultural area in
Denmark. The variations are mainly due to variations
in the concentration/dry deposition of NH3.

Ammonium in Air

NH4
1 volume fractions range from 8 � 10�9 in The

Netherlands to (1–3)� 10� 9 in agricultural areas in
north-western Europe and the United States and
(0.05–0.3)� 10�9 in remote areas (oceans, the Am-
azon, the Arctic, the Antarctic). Because of its longer
lifetime, concentrations of NH4

1 decrease with height,
but not as fast as those of NH3. Figure 7 shows the
global distribution of the NH4

1 concentration.

Wet Deposition of NHx

Wet deposition of NHx (in mgNm� 2 y� 1) varies
from over 1000 in agricultural areas in The Nether-

lands to 200–500 in other areas in Europe and in the
corn belt in the United States, and to 20–60 at more
remote sites in the United States and on the oceans. In
theArctic andAntarctic, depositions can be as low as a
1–5mgNm�2 y�1. Figure 8 shows the global distri-
bution of the wet deposition of NHx.

NH3 Concentration and Dry Deposition
Close to Sources

A special feature of NH3 is that it has a rather high
potential dry deposition velocity and is often released
from many scattered low sources. Near such sources,
concentrations are relatively high, but they decrease
rapidly as a function of distance owing to vertical and
lateral mixing. In agricultural areas with many farms,
the annually averaged NH3 concentration around a
source decreases to a ‘background level’ (caused by all
other sources) within about 500m from the source.
There is a potential for high dry deposition close to
sources if the compensation point of the surface is low
relative to the air concentration. There are at present,
however, nomeasurements of either the compensation
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point or the dry deposition so close to sources. It is
likely that of the order of 10–30% of the emitted NH3

is dry deposited within a few hundred meters from the
source (Figure 4). It is important to have an adequate
description of this local dry deposition in atmospheric
transport models as otherwise concentrations and
depositions close to sources are systematically under-
estimated. Owing to the number of scattered sources,
it is difficult to find representative NH3 monitoring
stations in agricultural areas, and many stations are
needed to get a good impression of the average
concentration from monitoring only in such areas.

See also

Air–Sea Interaction: Gas Exchange. Biogeochemical
Cycles:NitrogenCycle.Chemistryof theAtmosphere:

Gas Phase Reactions. Cloud Chemistry. Deposition.
Land–Atmosphere Interactions: Trace Gas Exchange.
Stratospheric Chemistry and Composition: Reactive
Nitrogen (NOx and NOy). Tropospheric Chemistry and
Composition: Aerosols/Particles.
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Introduction

Aromatic hydrocarbons are an important class of
organic compounds found in the atmosphere. It has
been estimated that aromatic species contribute about
10% to the total global anthropogenic nonmethane
organic carbon (NMOC) emissions, the major source
being car exhaust from gasoline-powered vehicles,
with a significant contribution from solvent usage.
The observation that biomass burning represents a
significant source of aromatics has attracted special
attention in recent years, since such processes occur on
a global scale. Natural, minor sources of aromatics
such as emission from soils and plants have also been
identified. The emission of aromatics will therefore
have an impact on tropospheric processes on local,
regional and global scales.

In many urban areas, emissions of volatile organic
compounds (VOCs) and NOx , when combined under
meteorological conditions that favor smog formation,
can lead to the formation of ground-level ozone and
PM at harmful levels. Aromatic hydrocarbons make a
significant contribution to the formation of ozone and
other photooxidants in urban atmospheres. It has been
estimated that the percentage contribution of aro-

matic hydrocarbons to ozone production can be
between 30 and 40%. Such a high contribution would
make the aromatics the most important class of
hydrocarbons with regard to photochemical ozone
formation. However, it should be borne in mind that
the oxidation mechanisms of aromatic hydrocarbons
are still imprecisely known, and verification of such
estimates is necessary. In addition to their high
atmospheric photochemical reactivity and their con-
sequent major influence on the formation of tropo-
spheric ozone and on the oxidizing capacity of the
atmosphere, there is now strong evidence that the
photochemistry of aromatic compounds can lead to
the formation of secondary organic aerosols (SOA),
which are known to be harmful to human and
ecosystem health. In fact, studies have shown that
the atmospheric organic aerosol formation potential
of whole gasoline vapor can be accounted for solely in
terms of the aromatic fraction of the fuel. As emissions
of aromatics are concentrated in urban areas, where
many people live and work, the formation of second-
ary organic aerosols becomes a more acute problem.
With regard to health effects, benzene, a ubiquitous
aromatic environmental contaminant, is hematotoxic,
clastogenic, and leukemogenic in humans and pro-
duces bone marrow toxicity and various types of
cancer in animals. The reason for the carcinogenesis of
benzene is still not entirely clear. Laboratory studies
have also shown that the photooxidation of other
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aromatic hydrocarbons leads to the formation of
mutagenic products.

Presented here is a brief overviewof the atmospheric
composition and gas-phase chemistry of aromatic
hydrocarbons concentrating mainly on benzene, tol-
uene, and the xylene isomers, since these rank highly
among the most important aromatic hydrocarbons
emitted to the atmosphere. Since the subject is com-
plex, the reader is encouraged to consult the recent
articles and books listed in the reading material for
coverage in depth on particular aspects of aromatic
hydrocarbon chemistry covered here.

Structure and Concentration in the
Atmosphere

The simplest of the aromatic hydrocarbons is benzene,
which has a hexagon ring structure with three ‘double
bonds’ in the ring. In the aromatic benzene ring, these
‘double bonds’ are fully conjugated and consequently
the compound is relatively stable. All carbons are sp2

hybridized, and each p orbital overlaps to an equal
extend its two neighbors. The consequently delocal-
ized electrons formap cloud above andbelow the ring.
In the molecular structure of benzene all six C–C
bonds are equal and all bond angles are 1201. TheC–C
bond length in benzene is 0.139 Å, between the values
for the single (0.147 nm) and the double bond
(0.134 nm) in butadiene. All of the three structures
shown here for benzene are equivalent.

HHH H HH

120o

120o 120o

0.109 nm
0.139 nm

The generic term for substituted benzenes is arene.
An arene as a substituent is referred to as an aryl group,

abbreviated Ar. The parent aryl substituent is phenyl,
C6H5. There are three possible arrangements if disub-
stituted benzenes. These are described by the prefixes
1,2 (ortho-, or o-, Greek: straight) for adjacent
substituents, 1,3 (meta-, or m-, Greek: transposed)
for 1,3-disubstitution, and 1,4 (para-, or p-, Greek:
beyond) for 1,4-disubstitution. The substituents are
listed in alphabetical order. Figure 1 lists the structural
formulae, IUPAC and common names of the more
prevalent types of aromatic hydrocarbon found in the
atmosphere.

Of the 32 most prevalent non-methane hydrocar-
bons observed in urban air, 7 are aromatic hydrocar-
bons. Toluene is often the most abundant aromatic
compound in urban air accounting for around 6% of
the observed non-methane hydrocarbon. A wealth of
data now exists on aromatic hydrocarbon composi-
tion and concentration in the atmosphere and the
listed literature can be used to access this information.
Atmospheric concentrations of aromatic hydrocar-
bons in urban areas are often in the ppb range, for
example measured concentrations for benzene, tolu-
ene, and the xylene isomers are typically in the ranges
1–9, 1–17, and 0.3–10 ppb, respectively. In rural
and marine regions the concentrations are generally
below 0.5 ppb.

Table 1 shows an example of the typical VOC
composition of Los Angeles morning air in October
1995, with the percentages of the contributions from
alkanes, alkenes, aromatics, and other NMHCs. The
percentage ofOHreactivity (rate coefficientweighted)
for each individual compound and compound class
group is also shown. Table 2 shows a comparison of
total non-methane organic compounds (TNMOC)
and percentile distribution of aromatic hydro-
carbons for selected European locations. Both tables

Monosubstituted benzenes

Di- and tri-substituted benzenes

Methylbenzene
(toluene)

Benzenol
(phenol)

Benzenecarboxaldehyde
(benzaldehyde)

Methoxybenzene
(anisole)

Ethenylbenzene
(styrene)

Benzenecarboxylic acid
(benzoic acid)

Dimethylbenzene
(o - , m - , p -xylenes)

Trimethylbenzenes
(mesitylenes)

Methylbenzenols
(o -, m -, p -cresol)

Nitro-methylbenzenes
(nitrotoluenes)

CH3 OH CHO OCH3 CH COOHCH2

NO2

CH3

OH

CH3

CH3

CH3

CH3

CH3

CH3

Figure 1 Structures and names of simple aromatic compounds commonly found in the atmosphere.
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Table 1 Typical composition of Los Angeles morning air in October 1995a

Average ppbC Min ppbC Max ppbC OH reactivity (%)

Methane 2000 1.7

CO 500 11.6

Alkanes (42% of NMHC) 211.2 14.6

2-Methylbutane 28.69 8.01 74.64 2.1

Propane 27.50 9.18 51.49 1.0

Ethane 20.23 7.92 47.12 0.2

n-Butane 16.58 5.01 32.58 1.0

n-Pentane 15.39 4.58 34.85 1.2

2-Methylpentane 12.26 3.99 35.78 1.1

Methylcyclopentane 8.73 2.43 25.96 1.0

n-Hexane 8.16 2.27 23.67 0.7

2n-Methylpropane 8.08 3.09 12.86 0.4

2,2,4-Trimethylpentane 7.86 2.11 24.08 0.3

3-Methylpentane 7.41 2.80 21.28 0.6

3-Methylhexane 6.72 1.97 16.68 0.7

Methylcyclohexane 6.28 1.32 13.95 0.9

n-Heptane 5.02 1.20 11.47 0.5

2-Methylhexane 4.94 1.45 14.58 0.5

2,3-Dimethylpentane 4.72 1.23 14.21 0.3

2,3-Dimethylbutane 3.27 0.91 9.57 0.3

Cyclohexane 3.14 1.07 8.65 0.4

2,4-Dimethylpentane 2.81 0.77 8.96 0.2

2-Methylheptane 2.29 0.70 6.62 0.2

2,3,4-Trimethylpentane 2.23 0.57 8.67 0.2

n-Octane 2.09 0.77 6.02 0.2

Cyclopentane 1.95 0.58 4.80 0.2

3-Methylheptane 1.94 0.54 6.59 0.2

n-Nonane 1.62 0.51 4.26 0.2

2,2-Dimethylbutane 1.24 0.42 3.40 0.0

Alkenes (7% of NMHC) 34.2 27.3

Ethene 14.91 4.31 45.67 6.2

Propene 5.88 1.48 20.22 5.0

2-Methylpropene and 1-butene 4.97 1.23 20.27 6.2

2-Methyl-2-butene 1.48 0.38 6.96 2.1

trans-2-Pentene 1.16 0.00 5.33 1.1

1-Pentene 0.92 0.14 2.75 0.6

trans-2-Hexene 0.80 0.13 2.31 0.9

2-Methyl-1,3-butadiene 0.68 0.14 2.47 1.3

cis-2-Pentene 0.66 0.13 2.78 0.8

trans-2-Butene 0.60 0.17 2.48 0.9

cis-2-Butene 0.56 0.11 2.55 0.8

Cyclopentene 0.38 0.07 1.77 0.5

3-Methyl-1-butene 0.35 0.09 1.10 0.2

2-Methyl-1-pentene 0.32 0.00 1.33 0.3

4-Methyl-1-pentene 0.29 0.00 0.61 0.2

cis-2-Hexene 0.23 0.05 1.04 0.2

Aromatics (19% of NMHC) 96.4 17.9

Toluene 33.02 9.36 91.01 2.7

m- and p-Xylene 19.92 5.77 68.20 4.6

1,2,4-Trimethylbenzene 12.12 3.90 32.72 4.2

Benzene 9.73 3.62 30.05 0.2

o-Xylene 7.14 2.17 23.75 1.2

Ethylbenzene 5.41 1.76 16.79 0.5

1,3,5-Trimethylbenzene 3.47 0.83 14.39 2.1

Styrene 3.06 0.79 10.30 2.2

n-Propylbenzene 1.60 0.57 4.40 0.1

iso-Propylbenzene 0.94 0.20 6.10 0.0
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demonstrate the high contribution of aromatic com-
pounds to the NMOC mix, particularly in urban
environments where the major sources occur. The
emissions of aromatic hydrocarbons are overwhelm-
ingly anthropogenic in origin; major sources are the
evaporation of fuels, automobile tailpipe exhaust, and
industrial processes – in particular, solvent utilization.
In many instances the measured aromatic hydrocar-
bon composition resembles very closely the aromatic
hydrocarbon signature obtained from studies on the
NMOC emissions from automobiles earmarking on-
road vehicles as the leading, if not major, source of
urban aromatic hydrocarbons. In rural areas where
emissions from biogenics dominate the contribution
from aromatic hydrocarbons is much lower. In urban
areas and suburban areas with a high biomass contri-
bution the measured atmospheric NMOC often
resembles a combination of the expected anthro-
pogenic and biogenic emission signatures for the
sources present in that particular region.

Biomass burning represents a small but significant
emission source of aromatic hydrocarbons, in partic-
ular benzene. Plants are known to emit unsaturated
compounds containing an aromatic ring and micro-
organisms can produce benzene and toluene. It has
also been shown quite recently that some plants under
stress situations emit toluene. At present it is not
possible to quantify the emissions of simple aromatic
hydrocarbons from the biosphere, but the indications
are that the contribution is small.

Estimations of global emissions of aromatics range
from 18.7Tg yr�1 (17.1% of the total anthropogenic
NMVOC emissions) to 25Tg yr�1, with benzene and
toluene alone constituting 25% of the total anthro-
pogenic NMVOC emissions. Regulations in industri-
alized countries are helping to reduce the aromatic
content of fuel; however, even if the content is lowered
to about 20 mass percent, the continually increasing
global oil demand will keep the global emissions of
aromatic hydrocarbons from fossil-fuel combustion at
a high level.

Chemical Transformation
Mechanisms in the Atmosphere

Main Oxidants and Relative Importance

The gas-phase oxidation of organic compounds in the
troposphere is initiated by reactions with OH and
NO3 radicals, O3 and ground state oxygen O(3P)
atoms, and in some instances by photolysis at
wavelengths longer than 290 nm. Since benzene and
the mono-, di-, and tri-alkyl-substituted benzenes
absorb very little of the sunlight present in the
troposphere, loss through photolysis is unimportant
in the urban atmosphere. The reaction of aromatic
hydrocarbons with O(3P) atoms is also of negligible
importance.

The relative importance of the other reaction
pathways depends on the atmospheric concentrations
of the reaction initiators (O3,OH,NO3) and their rate
coefficients with the individual aromatic hydrocar-
bon. Because of the high variability of pollutant
concentrations and the diurnal cycle in solar radiation,
the atmosphere concentrations of O3, OH, and NO3

can vary considerably in time and space. Table 3 lists
rate coefficients for reactions of a selection of aromatic
hydrocarbons,withO3,OH, andNO3 for 298Kand1
atmosphere total pressure. It is instructive to compare
the lifetimes of the aromatic hydrocarbons for typical
concentrations of the oxidant species which can occur
during daylight and nighttime hours in a polluted
urban atmosphere; such a comparison is made in
Table 4.

It is evident from Table 4 that the oxidation of
benzene and the alkyl-substituted benzenes in the
atmosphere is initiated almost exclusively by reaction
with OH radicals, the contribution from NO3 being
extremely small and that fromO3 negligible. Reaction
with O3 is of any significance only for aromatic
alkenes such as styrene. Reaction with NO3 radicals is
important for aromatic alkenes and also aromatic
hydrocarbons containing hydroxyl groups (e.g.,

Average ppbC Min ppbC Max ppbC OH reactivity (%)

Other (33% of NMHC) 165.2 27.0

Ethyne 17.35 5.76 54.86 0.7

Methyl tert-butyl ether (MTBE) 20.46 6.80 62.64 1.2

Other identified 73.86 23.22 222.93 14.6

Unidentified 53.57 19.38 166.14 10.6

Total 3007 100

aSource: Fujita EM, Lu Z, Sheetz L, Harshfeld G and Zielinska B (1997) Determination of Mobile Source Emission Fraction Using

Ambient Field Measurements. Report available from the Coordinating Research Council, 3650 Mansell Road, Suite 140, Alpharetta, GA

30022–8246, USA.

Table 1 Continued
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phenol, cresol isomers, etc.). At night this removal
process dominates the removal of these compounds
under the given conditions. However, under certain
circumstances the NO3 reaction can dominate the
removal of hydroxybenzenes, and also contribute to
the removal of aromatic alkenes during daytime. The
removal process can be particularly important at low
sun angles, when the NO3 photolysis loss becomes
slow enough to allow the NO3 concentration to build
up to levels where it can effectively compete with the
OH reactions.

As can be seen in Table 4, with the exception of
benzene most aromatic hydrocarbons react fairly
rapidly with OH and have atmospheric lifetimes in
the range of hours to days, so that atmospheric degra-
dation will be initiated in fairly close proximity to the

emission source. Benzene with a lifetime of several
days can be transported hundreds of kilometers.

Primary Reaction Steps

As indicated above, reaction with OH radicals dom-
inates the tropospheric oxidation processes of aro-
matic hydrocarbons. As shown inFigure 2 the reaction
proceeds by two pathways: (1) OH radical addition to
the aromatic ring to form a hydroxycyclohexadienyl
radical, i.e., an OH-aromatic adduct, which can
thermally decompose back to reactants or undergo
further reactions to products, and (2) H-atom ab-
straction from the C–H bonds of alkyl substituent
groups. Possible reactions of the hydroxycyclo-
hexadienyl radical under atmospheric conditions are
illustrated in Figure 2.

Table 2 Comparison of total nonmethane organic compounds (TNMOC) and percentage distribution of aromatic hydrocarbons for

selected European locations

Location Characterization Country TNMOC Aromatics

(%)

(a) Data from several field studies in the late 1980s and early 1990s

Milan Urban Italy 490.8mg/m3 43.7

Rome Urban Italy 583.5 34.9

Taranto Urban Italy 586 34.1

Montelibretti Suburban/rural Italy 360.5 6.0

Madrid Suburban Spain 104.3 34.5

Castelporzio Forest/rural Italy 88.7 2.6

Castelporzio Pine–oak forest Italy 95.5 3.9

Viols en Laval Forest maquis France 36.0 6.0

Monti Crimini Pine forest Italy 96.2 8.7

Storkow Pine forest Germany 91.2 25.8

Burriana Orange field Spain 25.5 5.0

Apenini mountains Forest–rural Italy 34.0 1.6

Svalbard Islands Remote arctic Norway 48.3 5.2

(b) Measurement made in 1997 and 1998 in Germany

Wuppertal Urban Germany 25–184ppbC 44

Wuppertal Traffic tunnel Germany 87–5528 47

Menz Rural, Berlin plume Germany 23.7 28

Menz Rural, background Germany 12 19

(c) Berlin, Germany. Summer 1996, 4-month average

Frohnau Suburban Germany 31 mgm�3 14.0

Nansenstrasse Urban, roadside Germany 88 25.0

Frankfurter Allee Urban, roadside Germany 175 31.8

(d) Munich, Germany. 15 March–3 April 1996. Urban

All days Mean values Germany 112.3 ppbC 34.0

Weekdays Mean values Germany 117.2 35.3

Weekdays 5.00–21.00 hours Mean values Germany 134.0 36.3

Sources: Ciccioli P, Brancaleoni E and Frattoni M (1999) Reactive hydrocarbons in the atmosphere at urban and regional scales. In: CN

Hewitt (ed.)ReactiveHydrocarbons in the Atmosphere, pp. 159–207. SanDiego, CA: Academic Press; Kern T,MetzN andKleyD (1997)

Untersuchungen von Verkehrsabgasemissionen insbesondere im Hinblick auf die Ozonbildung, Abschlu�bericht Forschungszentrum

Jülich, D-52425 Jülich und BMW AG, Energie und Umwelt, D-80788 München; Kurtenbach R, Brockmann KJ, Brust et al. (1999)

VOC–measurements in rural air within the BERLIOZ campaign. In: KH Becker (ed.) The BERLIOZ Campaign/TFS-LT3 Annual Report

1998 (German), University of Wuppertal; Thijsse TR, van Oss RF, and Lenschow P (1999) Determination of source contributions to

ambient volatile organic compound concentrations in Berlin. Journal of the Air and Waste Management Association 49: 1394–1404.
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The rate coefficient for attack at a methyl substitu-
tion is of the order of 6� 10�13 cm3molecule�1 s�1. It
generally accounts for r10% of the overall reaction
and becomes increasingly less important with alkyl
substitution, since the rate of OH addition to the ring
increases. The radicals resulting from H-atom ab-
straction from alkyl groups of substituted benzenes

undergo reactions analogous to those for alkyl radicals
generated from the oxidation of alkanes. The oxida-
tion results mainly in the formation of ring-retaining
aromatic aldehyde products (as shown in Figure 3 for
toluene). Small yields of aromatic nitrate compounds
can also be generated from reaction of the alkyl peroxy
radicals with NO, e.g.,

C6H5CH2OOþNOþM ! C6H5CH2ONO2 þM

Addition ofOH to the aromatic ring is by far themajor
reaction pathway. Depending on the symmetry of the
aromatic compounds, there can be up to six distinct
addition points for the OH group. The position of
attack relative to an existing substitution is favored in
the following order: ortho- > para- > ipso- > meta-.

OH-aromatic adducts have been observed spec-
troscopically and the reactions of the OH-benzene,
OH-toluene, and OH-xylene adducts with NO, NO2,
and O2 have been studied. The adducts do not appear
to react with NO, but reaction with O2 and NO2 is
observed with rate coefficients between (1.8–20)�
10�16 and (2.5–3.6)� 10�12 cm3molecule�1 s�1,

Table 3 Room temperature rate coefficients for the reaction of aromatic hydrocarbons with OH and NO3 radicals and O3 in air

Compound k(OH) cm3molecule�1 s�1 k(NO3) cm
3molecule�1 s�1 k(O3) cm

3molecule�1 s�1

Benzene 1.22�10�12 o3� 10�17 o1�10�21

Toluene 5.63�10�12 7�10�17 o1�10�21

Ethylbenzene 7.0� 10�12 r5.7�10�16 o1�10�21

o-Xylene 13.6�10�12 4.1�10�16 o1�10�20

m-Xylene 23.1�10�12 2.6�10�16 o3�10�21

p-Xylene 14.3�10�12 5.0�10�16 o1�10�21

1,2,4-Trimethylbenzene 32.5�10�12 1.8�10�15 1.3� 10�21

Benzaldehyde 12.9�10�12 2.4�10�15 –

Styrene 58� 10�12 1.5�10�12 1.7� 10�17

Phenol 27� 10�12 3.6�10�12 –

o-Cresol 41� 10�12 1.4�10�11 3�10�19

Table 4 Calculated lifetimes for selected aromatic hydrocarbons for reaction with OH and NO3 radical and O3 concentrations

representative of a polluted atmosphere

Aromatic compound Daytime Nighttime

[OH] (0.16pptrv) [NO3] (3 pptrv) [O3] (110ppbv) [OH]

(0.0007pptrv)

[NO3] (100 pptrv)[O3] (80 ppbv)

Benzene 2.4 day 14.3 yr 411.7 yr 548day 157day 416.1 yr

Toluene 12.5 h 6.1 yr 411.7 yr 119day 67day 416.1 yr

Ethylbenzene 10.1 h Z0.75 yr 411.7 yr 96 day Z8 day 416.1 yr

o-Xylene 5.2 h 1.16 yr 41.2 yr 49 day 11day 41.7 yr

m-Xylene 3.1 h 1.65 yr 43.9 yr 29 day 18day 45.4 yr

p-Xylene 4.9 h 0.86 yr 411.7 yr 47 day 9 day 416.1 yr

1,2,4-Trimethylbenzene 2.2 h 87day 9 yr 21 day 2.6 day 12.4 yr

Benzaldehyde 5.5 h 65 day – 52day 2 day –

Styrene 1.2 h 2.5 h 6 h 11day 4.5min 8.3 h

Phenol 2.6 h 1.1 h – 25day 2min –

o-Cresol 1.7 h 16min 14.3 day 16day 29 s 19.7 day

O2/NO O2

CH3

CH2 CH2O CHO

CH3+ OH

OH

H
M Various mechanisms to 

form ring-retaining and
ring-cleavage products

(+ other isomers)

Figure 2 Primary pathways in the OH-radical-initiated oxidation

of aromatic hydrocarbons using toluene as an example.
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respectively. In the atmosphere, reaction of the adduct
with O2 will dominate; however, in laboratory studies
with high NO2 concentrations, both reactions
can be important.

The reactions of the OH-aromatic-adducts with O2

are complex, and various different mechanisms have
been proposed to account for the observed products
and experimental observations. The multitude of
different hydroxy-peroxy radicals which can be gen-
erated by addition of O2 to the OH-aromatic adduct
are shown in Figure 4, taking toluene as an example.

Figure 5 summarizes various possible reaction
pathways of the OH-aromatic-peroxy radicals which
have been postulated to explain the products observed
in the OH-radical-initiated oxidation of aromatic
hydrocarbons using benzene (1) as an example. For
reasons of simplicity and clarity, only formation of a b-
hydroxy-peroxy radical (3) via the addition reaction of
O2 with the OH-benzene adduct (2) is shown, since
this is considered to be themajor pathway, not only for
benzene but also for other alkyl-substituted benzenes.

Reaction of O2 with the OH-aromatic adduct can
also lead to products other than a hydroxy-peroxy
radical (4). A phenolic product (4) and HO2 can be
formed by attack at the H-atom a- to the hydroxyl
group. The attack of O2 directly at the OH group may
generate an aromatic oxide (5) and HO2. The
aromatic oxide (5) is in equilibrium with the oxepin
(6); photolysis of these compounds is also known to
yield phenolic products (4), and reaction with OH is
known to produce di-unsaturated dicarbonyls (8).

Such di-unsaturated dicarbonyls can also be pro-
duced if the b-hydroxy-peroxy radical (3) reacts via
‘conventional’ atmospheric peroxy radical reactions,
i.e., reactionwithNO to form an oxy radical followed
by ring-opening to form (8). Recent work indicates
that the reaction of OH-aromatic-peroxy radicals
such as (3) with NO is slow and will probably not be
important under atmospheric conditions. In labora-
tory studies with high NO, the process may occur
and these compounds have indeed been observed
in laboratory product studies, though without
quantification.

The b-hydroxy-peroxy radical (3) can rearrange to
form a peroxide-bridged bicyclic radical (9) which
further adds O2 to form a new peroxy radical.
Reaction of this new peroxy radical with NO will
produce the oxy radical (10). Ring-opening of (10)will
lead to a monounsaturated dicarbonyl and an a-
dicarbonyl, both of which are well-established oxida-
tion products. The reaction of (8) with OH radicals is
another possible route to these products.

Another option for the b-hydroxy-peroxy radical
(3) is rearrangement to an epoxy-oxy radical (13)
which can form either the unsaturated epoxy-ketone
(14) or/and the ring-opened unsaturated epoxy dicar-
bonyl product (15). Formation of such products has
been observed by GC-MS, though quantification was
not possible.

Product Yields

In this section, the typical products of theOH-initiated
oxidation of aromatic hydrocarbons are discussed. A
large number of product studies of the OH-initiated
oxidation of aromatic hydrocarbons have been
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reported. Though many of these studies have focused
on toluene, the most abundant aromatic hydrocarbon
found in polluted air, numerous data exist for many
other aromatic hydrocarbons, including some polycy-
clic aromatics. A large number of ring-opening prod-
ucts have been observed in theOH-initiated oxidation
of aromatic hydrocarbons, but only someof these have
been determined quantitatively. Table 5 shows the
types of ring-retaining and ring-opening products
identified and quantified in the OH-radical-initiated
oxidation of aromatic hydrocarbons taking toluene as
example. Yields are not given, since these can vary
quite substantially with the experimental conditions
employed. Hydroxybenzenes (e.g., phenol from ben-
zene and cresols from toluene) are major ring-retain-
ing products formed by abstraction of a ring H atom
with O2 (Figure 5), with yields typically of around
20% for benzene, toluene, and the xylenes, and rank
among the best-quantified products. Some of the
observed products are probably secondary or tertiary
in nature, being formed by the further oxidation of
stable (nonradical) intermediates of the atmospheric
oxidation of the parent aromatic hydrocarbons.
Among the identified but not quantified products are
highly reactive unsaturated dicarbonyls, e.g., methyl-
atedderivatives of 2,4-hexadienedial and2-butenedial

in the case of toluene, and other unsaturated carbonyls
and epoxy carbonyls. No statement concerning the
importance of these intermediates can be made at this
writing.

One problem encountered in all existing product
studies of the OH-initiated oxidation of aromatic
hydrocarbons is the deficient carbon balance. Gener-
ally, only about 50% of the carbon which reacts with
OH radicals is identified as products. Themain reason
for this is that all the proposed and identified products
of the oxidation are highly reactive themselves; most
of the products, react about one order of magnitude
faster with OH radicals than with the parent aromatic
hydrocarbon. This often results in low yields of these
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Table 5 Types of products quantified in the OH-radical initiated

oxidation of aromatic hydrocarbons: example for toluene

Ring-retaining products Ring-opened products

Benzaldehyde Maleic anhydridea

o-, m-, p-Cresol a-Angelica lactonea

2-Methyl-p-benzoquinone 2-Oxo-2-pentenal

Benzyl alcohol Methylglyoxal

o-, m-, p-Nitrotoluene Glyoxal

aProducts from reactions of straight-chain monounsaturated

dicarbonyls.
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products, which makes them difficult to detect and
even more difficult to quantify. Such large differences
in the reactivity between products and reactants are
not observed in any other class of volatile organic
compounds present in the atmosphere. The high
reactivity of aromatic hydrocarbon photooxidation
products can be explained by the three ‘double bonds’
in the benzene ring. In the aromatic benzene ring, these
‘double bonds’ are fully conjugated and consequently
very stable. Once the aromaticity is destroyed, how-
ever, non-aromatic double bonds are formed, making
the products highly reactive.

Aerosol Formation from the Oxidation of Aromatic
Hydrocarbons

Epidemiological studies have reported an association
between daily mortality and fine particles. There are
two general classes of particulate matter: primary and
secondary. A large fraction of the carbonaceous
aerosol present in urban environments is composed
of secondary organic aerosols (SOA) generated in the
photochemical oxidation of organic compounds pre-
sent in the atmosphere. The fraction of SOA originat-
ing from the oxidation of the aromatic hydrocarbons
is not known with certainty; however, it has been
concluded from field and laboratory observations that
aromatic hydrocarbons probably play a significant
and possibly domineering role in the formation of
secondary organic aerosol in urban areas. Studies to
date indicate that is the reactions of ring-opened first-
generation products which are probably mainly re-
sponsible for the aerosol formation observed in the
photo-oxidation of aromatic compounds. However,
the chemical nature of only a small fraction (15–30%)
of the secondary aerosol mass has been identified to
date. It is thought that organic acids formed from the
oxidation of a,o-dialdehydes initially to a,o-oxyacids
and further to a,o-diacids may be important uniden-
tified components of the aerosol. Since the organic
compounds present in the aerosols have obviously a
low vapor pressure, and many are not commercially
available, there are considerable experimental hurdles
with regard to collection and identification which still
need to be overcome before a full aerosol composition
specification will be possible.

Outlook

Although much new and encouraging information
concerning the mechanisms of the atmospheric oxi-
dation of aromatic hydrocarbons has emerged in
recent years, vital information concerning the actual
nature of the ring-opening process which is necessary
for realistic model construction is still uncertain.

However, a wealth of new kinetic and mechanistic
information has been obtained which allows limits to
be put upon some of the various possible ring-cleavage
reaction channels. Since the database has been con-
siderably broadened, it is likely that in the near future,
with some further refinements in the database, it will
be possible to obtain a reasonably accurate description
for the photooxidation of aromatic hydrocarbons.
This may be achieved either by an experimental
breakthrough or by optimization of a ‘multichannel’
reaction mechanism (utilizing the new kinetic
andmechanistic data) tofit a set ofwell-defined simula-
tion experiments suitable for different atmospheric
conditions.

See also

Tropospheric Chemistry and Composition: Aliphatic
Hydrocarbons; Biogenic Hydrocarbons (inc. isoprene);
VOCs Overview.
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Introduction

All living organisms produce hydrocarbons, which
consist solely of hydrogen and carbon, and other
volatile organic compounds (VOCs) that can also
contain elements such as oxygen, nitrogen, or sulfur.
The term VOCs will refer here to all volatile organic
compounds other thanmethane. Themajor categories
ofVOCs chemical species (terpenoid, oxygenated, and
other) and the important sources (vegetation foliage)
are described and the atmospheric and ecological
factors that control the various types of emissions are
discussed. Most of the VOCs emitted into the atmos-
phere are of biogenic origin (i.e., they are produced
and emitted by biological organisms). The remainder,
primarily from combustion of wood and fossil fuels is
a small fraction of the global total but greatly
dominates in urban and industrial areas and in remote
areas when biomass burning occurs. The known and
suspected ecological and physiological roles of bio-
genic VOCs are noted and their impact on the
environment is considered. Biogenic VOCs can have
a significant impact on the chemical composition of
the atmosphere and are strongly influenced by envi-
ronmental conditions. As a result, it is likely that
global emissions of these compounds will change in
response to global climate and land cover change. This
raises the potential for a feedback coupling that could
significantly perturb the Earth system.

Compounds

Tens of thousands of organic compounds have been
identified in plant tissues and more are discovered
every year. Many of these compounds have very low
volatility, which prevents or greatly limits their emis-
sion to the atmosphere. In addition, some organic
compounds are stored in plant structures that present

substantial barriers to emission to the atmosphere. As
a result, a relatively small number of all organic
compounds found within plants are emitted at rates
that can significantly influence the atmosphere.

Terpenoid VOCs

The terpenoids are an important class of organic
compounds that include hemiterpenes (containing 5
carbon atoms), monoterpenes (10 carbon atoms),
sesquiterpenes (15 carbon atoms) and diterpenes (20
carbon atoms). Only two hemiterpenes, isoprene and
methylbutenol, are known to be emitted in significant
quantities. Isoprene makes the single largest contribu-
tion to the total global VOC emission. There are about
a thousand monoterpene compounds but fewer than
20 are emitted into the atmosphere at significant rates.
The largest contributor to the global monoterpene
emission is a-pinene. Other monoterpenes that are
commonly observed as plant emissions include b-
pinene, D3-carene, d-limonene, camphene, myrcene,
sabinene, b-phellandrene and p-cymene. Relatively
little is known about the emission of the approximate-
ly 3000 sesquiterpene compounds found in plants;
only a few (e.g., b-caryophyllene) have been observed
in the atmosphere, but this may be due to their
extremely short lifetimes in the atmosphere. None of
the approximately 2000 diterpenes is known to be
emitted into the atmosphere in significant amounts.

Oxygenated VOCs

Biogenic VOCs include a large variety of oxygenated
compounds including alcohols (e.g., methanol), alde-
hydes (e.g., acetaldehyde), ketones (e.g., acetone),
acids (e.g., formic acid), ethers (e.g., 1,8-cineole), and
esters (hexenyl acetate). The relative molecular
weights of these compounds range from less than
32 (e.g., methanol and formaldehyde) to over 100
(e.g., decanal and methylheptenone). The larger
compounds are more likely to contribute to
aerosol formation or growth. Methanol, ethanol,
acetone, acetaldehyde, hexenol, hexenal, and hexenyl
acetate are probably the oxygenated VOCs with
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the highest global emission rates and at least some
of these have a significant impact on the chemical
composition of the atmosphere. There is not
enough information to determine whether there
are substantial emissions of any other oxygenated
VOCs.

Other VOCs

There are a number of other organic compounds
including alkanes (e.g., ethane), alkenes (e.g., ethene),
arenes (e.g., toluene), sulfur compounds (e.g., dime-
thyl sulfide), and nitrogen compounds (hydrogen
cyanide). Of these compounds, ethene has the highest
global emission rate. Some of the other compounds
are rarely emitted but emissions can be high for
certain conditions and locations. Dimethyl sulfide
is a volatile organic sulfur compound that is produced
and emitted by marine phytoplankton at rates that
have a significant impact on the chemistry of the
marine atmosphere.

Sources and Driving Variables

Vegetation is the major source of VOC emission into
the atmosphere. These emissions are primarily from
foliage (leaves and needles). The remainder is from
other live tissues including stem, cortical, root, and
reproductive tissues. Trees are the major source of
global emissions, although shrubs and nonwoody
plants are important sources of at least some com-
pounds. Microorganisms and animals are a minor
source of biogenic VOCs emission. Isoprene and
acetone are the dominant VOCs emitted in human
breath.

VOC Production and Emission Pathways

There are many different biogenic VOC production/
emission pathways including chloroplasts, specialized
defense, unspecialized defense, metabolic by-prod-
ucts, decaying and drying vegetation, plant growth
hormones, and floral scents. Each pathway is respon-
sible for the emission of more than one type of VOC
and some VOCs are emitted by more than one
pathway.

Chloroplast emissions dominate the global VOC
flux. Although only 30% of all plant species exhibit
this type of emission, the emission rates are typically
much higher than those of other emission processes.
Isoprene is the major chloroplast emission from most
landscapes, but some regions are dominated by
chloroplast emissions of methylbutenol or monoter-
penes (e.g., a-pinene). Isoprene is produced in chloro-
plasts by a unique enzyme, isoprene synthase, and its
production depends on the availability of photosyn-
thetic carbon but is distinct from photorespiration.

Isoprene penetrates the intercellular space of the leaf
and then exits the plant via the stomata. Isoprene
synthase activity is controlled primarily by leaf tem-
perature and light (photosynthetically active radia-
tion). Diurnal variations range over several orders of
magnitude and are near zero in the dark. The temper-
ature and light conditions that a leaf has been exposed
to during the previous hours to days can significantly
influence emissions. Leaf age, phenology, nutrient
levels, and water stress are other factors that control
isoprene emission.

Many plants produce and store terpenoid com-
pounds within specialized tissues that act as a physical
barrier to insects and pathogens and/or as a feeding
deterrent if consumed. These compounds are prima-
rily monoterpenes (C10) and diterpenoids (C20) with a
large number, but small quantity, of sesquiterpenes
(C15). The biochemistry of these compounds, and the
genetic and ecological controls, have been investigated
because of the importance of this plant defense
mechanism for economically significant plants such
as pine trees. Although there are thousands of
terpenoids, the total emission from stored terpenoid
pools is dominated by contributions from fewer than
twenty compounds. Diurnal variations in emissions of
these stored compounds range from about a factor of 2
to a factor of 4 and are primarily controlled by
temperature. The relationship between emission and
temperature is exponential and is dependent on the
compound and the resistance properties in the plant.

Some of the VOCs produced in unspecialized plant
tissues also play a role in defending plants against
disease and herbivory. For example, emissions of
ethane, ethanol, methylsalicylate, octanone, and met-
hoxyphenol are associated with resistance of plants to
herbivore infestations. These compounds can act by
repelling pests or attracting predators. The hexenal
family compounds (2-hexenal, 3-hexenol, 3-hexenal,
3-hexenyl acetate, hexanal, and hexanol) may have
antibiotic properties and can be emitted by damaged
plants at very high rates. There is a reasonably good
understanding of the mechanisms controlling the
production of hexenal family compounds, which is
typically triggered by membrane damage due to
mechanical wounding or the presence of pathogens.

Ethene is a volatile hormone that controls numerous
aspects of plant growth and development, including
fruit ripening, seed germination, flowering, and senes-
cence. It can also trigger plant defense, and internal
concentrations are greatly increased by a variety of
stresses. The biochemistry of ethene production is
better understood than that of most VOC, but
investigations of ethene emission have been primarily
directed at understanding its role as a plant hormone
and provide little information for numerical emission
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modeling. Ethene production is widespread in plants
and is probably a significant emission from most
landscapes. It may be particularly sensitive to changes
in ecosystem stress.

LargeVOCemissions are observedwhen vegetation
is cut or when dried foliage is hydrated. Thus, the
initial cutting of live vegetation as well as longer-term
emissions from drying and dead vegetation produces
significant emissions. The dominant oxygenatedVOC
emissions include both reactive compounds (e.g.,
acetaldehyde and hexenal family) and less reactive
compounds (e.g., methanol, acetone, and butanone).
These fluxes dominate VOC emissions in agricultural
areas during harvesting. Other human activities,
including timber harvesting, lawn mowing, and
rangeland management practices, may significantly
enhance VOC emissions and should be characterized
for understanding of the importance and impact of
this emission source.

Floral scents are composed of a large variety of
VOCs including alkanes, alcohols, esters, aromatics,
nitrogen compounds, monoterpenes, and sesquiter-
penes. Flowers are likely to be the dominant biogenic
source of some of these compounds. Although flowers
are expected to be a minor component of annual
global VOC emissions, flowering may dominate VOC
emissions in some locations at certain times.

At least some portion of the total emission of a
number of VOCs (e.g., methanol, formaldehyde,
acetone, propene, butene, isoprene, formic acid, and
acetic acid) appears to be emitted by processes other
than those described above. These emissions may
simply represent the leakage of plant metabolites. For
example, methanol is produced in plants as a result of
the enzymatic demethylation of a component of the
pectin in plant cell walls. This process is an important
step in the elongation process that allows plant cell
walls to grow. The biochemical mechanisms for
ethanol and acetaldehyde production are also reason-
ably well understood. Production of these two com-
pounds by plants is expected under anaerobic
conditions such as those experienced by roots in
flooded soils, in wet crevices of damaged trees, and by
leaves under certain stressed conditions. Production
pathways for acetic acid, acetone, formaldehyde, and
formic acid in plant cells have been proposed but need
to be confirmed.

Geographical and Seasonal Distributions

The global annual emission of biogenic VOCs is
estimated to be greater than 1� 1015 g. Over 99% is
emitted by terrestrial vegetation, primarily from
foliage. A large fraction of this total is associated
with tropical regions owing to the high temperature
and light regimes, often coupled with a high plant

biomass, and emissions that occur throughout the
entire year. Regions of higher (northern and southern)
latitudes exhibit a pronounced seasonal cycle in the
physiological activity of the vegetation, resulting in a
maximum emission during the summertime when
temperature and light intensity are highest. Emission
variations are based on environmental (e.g. light and
temperature) conditions and land cover characteristics
including foliar biomass and plant species distribu-
tions. Emissions from landscapes without vegetation
are negligible. For landscapes with vegetation, emis-
sions vary more than an order of magnitude for
different locations. Variations of this magnitude are
also observed for different seasons at the same
location.

Ecological and Physiological Roles

The production of VOCs is a significant resource
allocation for biological organisms, which leads to the
question why these compounds are lost into the
atmosphere. Three possible reasons for biogenic
VOC emissions are that they provide a significant
benefit to the organism, that they represent the loss of
an unneeded metabolic by-product, or that they are
unintentional losses that result from having volatile
compounds in a leaky structure. The role of each of
these possibilities is discussed below.

Biogenic VOC emissions have an important role in
at least some biological organisms. Flowering plants
use VOCs to attract pollinators. Insects and animals
use VOCs as pheromones for a variety of signaling
activities. Plants can also use VOCs to signal other
parts of a plant, or even other plants, to begin or end
specific growth phases such as flowering. Plants may
also use VOCs to repel pests, either as antibiotics or by
making the plant less appetizing. The emission of a
volatile compound can also be a convenient way of
removing a toxic substance produced by an organism.
This is particularly useful for an immobile organism
that does not have the ability to move away from the
waste it has excreted. Examples of potentially toxic
compounds that can be removed as VOC emissions
include formaldehyde and acetone. Other beneficial
roles that have been proposed for biogenic VOCs
include protecting plants from dangerously high leaf
temperatures and modifying the chemical composi-
tion of the atmosphere in order to reduce the deposi-
tionof toxic compounds, such as ozone, or increase the
deposition of needed nutrients, such as some nitrogen
compounds.

Biological organisms metabolize organic substrates
to produce needed cellular components. These pro-
cesses often result in the production of metabolic by-
products that are not needed by the organism. It is
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generally expected that organisms have pathways to
recycle these by-products into other useful com-
pounds, but there may be situations where the
organisms simply expel the compound into the
atmosphere. Although it has not been clearly demon-
strated, the production of some VOCs may protect
plants from extreme environmental conditions. This
includes protection from high light intensities, by
dissipating excess reducing power, and from high
temperature, by stabilizing plant membranes.

All organisms exchange gases (e.g. oxygen, water
vapor, and carbon dioxide) with their environment. In
the process of doing this it is likely that at least some
volatile organic compounds will be unintentionally
lost to the atmosphere. In addition to losses through
the main gas transport pathways – the stomata of
plants or the mouths of animals – there is the
possibility for losses through other structures such as
plant cell walls or the skin of animals. These losseswill
be especially large when a normally airtight structure
becomes physically damaged and exposed to the
environment. Some plant functions may benefit from
having a highly volatile compound that can be moved
rapidly to combat stressful situations that arise
quickly, such as rapidly fluctuating high temperatures
or insect infestation. A VOC would be a good
candidate for this function but would be susceptible
to the unintentional loss of that compound.

Environmental Impact

Atmospheric Chemical Composition

The presence of biogenic VOCs in the atmosphere has
been recognized for centuries owing to the noticeable
odor of some of these compounds. For example,
hexenol is characteristic of the smell of freshly cut
grass and a-pinene contributes to the odor of pine
trees. Scientific investigations of biogenic hydrocar-
bons in the atmosphere were initiated in the Soviet
Union in the late 1920s. It was initially thought that
these highly flammable compounds might have some
military applications. Research in North America
began several decades later and was initially focused
on the potential role of biogenic hydrocarbons in
atmospheric haze. This work has recently become an
active area of research again with the recognition that
the productionof organic aerosol frombiogenicVOCs
may significantly impact the global radiation balance.
A major focus for investigations of biogenic VOCs
during the past three decades has been determining
whether these compounds have a role in tropospheric
ozone formation. This work has demonstrated that a
good understanding of biogenic VOC emissions is
needed for developing regulatory control strategies for

both rural and urban areas in some regions. Other
studies have shown that oxygenated VOCs emitted
from vegetation contribute to oxidant production in
the upper troposphere. It has also been shown that
biogenic sources of organic acids, from either primary
sources or atmospheric oxidation, can contribute to
precipitation acidity.

Carbon Balance

VOC emissions are a minor but significant pathway
for the flow of carbon between an ecosystem and the
atmosphere in at least some landscapes. Since the fate
of most VOCs is oxidation to CO2, these CO2

precursors may need to be considered in an accurate
accounting of global CO2 sources and sinks. The total
annual VOC flux of over 1� 1015 gC is significant in
comparison to the estimated annual global atmos-
pheric CO2 increase of about 3� 1015 gC. Net CO2

fluxes between terrestrial landscapes and the atmos-
phere at regional scales are estimated using complex
models of net ecosystem production, which treat
explicitly carbon uptake by photosynthesis and losses
through autotrophic and heterotrophic respiration.
Some of these models are being developed to treat
explicitly carbon losses through VOC emission since
they are of similar magnitude to, and have similar
levels of uncertainty as, other terms that now receive
explicit treatment (e.g., cement production).

Global Change and Possible Feedbacks

Biogenic VOC emissions can influence the chemical
composition of the atmosphere, including radiatively
active constituents that can modify the physical
environment, resulting in a globalwarming or cooling.
The chemical and physical environment, in turn, can
significantly influence the biosphere through nonlin-
ear relationships with the ecological and physiological
processes controlling VOC emission. This interaction
may thus result in a global feedback coupling involv-
ing the chemical and physical climate system and
operating over a wide range of temporal and spatial
scales. The major components of this system are
illustrated in Figure 1 and are discussed below.

Interactions between VOC emissions and the global
chemical (e.g., ozone, OH, methane, CO2, NO2, and
RONO2) environment are complex and nonlinear and
therefore difficult to predict. Increases in emissions of
someVOC are likely to result in increases of gases that
can increase radiative forcing (leading to warming)
while others, such as those that can form organic
particles, may decrease radiative forcing (leading to
cooling). Owing to the large differences in emission
rates associated with different vegetation types, there
is a substantial potential for land use change to
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influence biogenic emissions. Since woody plants tend
to have much higher isoprene and monoterpene
emissions rates, compared to crops and grasses, it
might be presumed that deforestation would greatly
reduce biogenic VOC emissions. However, there is a
tendency for higher isoprene emissions from the
woody plants (shrubs and sun tolerant trees) that
replace a closed canopy forest. In addition, oxygenat-
ed VOC emissions tend to be higher from degraded
and deforested landscapes. There is an equally large
potential for perturbed biogenic VOC emissions as a
result of climate change. Biogenic VOC emissions are
very sensitive to temperature and an increase of a few
degrees could lead to increase in emissions of more
than 25%. The overall result of expected future land
use and climate change is an increased biogenic VOC
production that could result in significant perturba-
tions in trace gas distributions and global biogeo-
chemical cycles.

See also

Air–Sea Interaction: Gas Exchange. Biogeochemical
Cycles: Carbon Cycle. Carbon Dioxide. Global
Change: Biospheric Impacts and Feedbacks; Ozone
Trends. Land–Atmosphere Interactions: Trace Gas
Exchange. Observations for Chemistry (In Situ):
Ozone Sondes. Ozone: Ozone Depletion Potentials;
Ozone as a UV Filter; Photochemistry of Ozone; Role
in Climate; Surface Ozone Effects on Vegetation.
Tropospheric Chemistry and Composition: VOCs
Overview.
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Introduction

Carbon monoxide (CO) is both a natural and an
anthropogenic trace gas. A second characteristic is

that CO has both surface sources and atmospheric
ones. In general terms, CO is an intermediate in the
oxidation pathways of reduced compounds to ulti-
mately CO2. Thus while the burning of carbonaceous
matter (natural or anthropogenic high-temperature
oxidation) generally produces a certain fraction of
CO, so do the natural photochemical oxidative
processes that rid the atmosphere of reduced organic
gases, like for instance methane (CH4).

CO is not a greenhouse gas, though, as its radiative
properties are unimportant compared with those

Biogenic VOC
Emission

Chemical
Environment:
O3, NO2, CH4,
RONO2, OH,
CO2

Radiative
balance Physical

Environment

Air
pollutants

Human
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temperature
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change

Figure 1 Illustration of a potential global feedback coupling

driven by changes in biogenic VOC emissions.
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of, for example, CH4 or CO2. However, through
its chemical interactions in the oxidative chain
reactions, CO does exert a complex indirect
effect. Basically, increased emissions of CO suppress
the oxidative capacity or power of the atmosphere,
as a consequence of which the greenhouse gas CH4

may increase.
Industry, heating, and transportation produce CO

in large amounts from the combustion of fossil fuels.
Human activities exert a considerable influence on the
global abundance of CO. An order of magnitude
calculation readily illustrates this fact. Assuming a
global source strength of COof 2500Tg year�1, this is
equivalent to about 400 kg per habitant. Assuming
further the burning of fossil fuels to be of the order of
400 kg year�1 per person (heating, cooking, burning
waste, transportation, etc.), and the CO yield to be
10%, the potential impact on the global budget is
readily evident.

The burning of biomass (mainly forest and tropical
savanna fires) and the use of biofuels (mainly heating
and cooking) produce copious amounts of CO, com-
prising about 25% of the global source. In the
atmosphere CO is produced by many of the chemical
processes that oxidize a host of volatile reduced species
produced by global photosynthesis into mainly water
and carbon dioxide. Nearly half of all CO in the
atmosphere is produced by the photochemically driv-
en oxidation of atmospheric methane (CH4) and other
nonmethane hydrocarbons.

COproduced in the atmosphere, and emitted into it,
is ultimately removed again in a matter of several
months.While neither oxygen nor ozone attack CO at
an appreciable rate, the reaction CO1OH-CO21H
does account for as much as 90% of CO removal. The
remaining 10% is removed by soils. Because OH is
also responsible for many reactions that do produce
CO, a complex coupling exists between CO, reduced
gases, and OH.

In the 1960s, when automobile engines were less
efficient and catalytic converters were absent,
automobiles emitted over 5% of the hydrocarbon
fuel burnt in the form of CO. At that time there was
concern that CO would increase unabated – an
alarming prospect considering its toxicity for
humans and other mammals. However, this fear
vanished soon after it was estimated from studies of
natural radiocarbonCO (14CO) that COhad a limited
lifetime (inferred to be less than 0.5 year). It was
proposed that the photochemical production of OH
radicals in the background global atmosphere sup-
plied a large natural sink for CO. But then, a second
concern about CO dawned upon us, namely that the
chemical reactions that produce and destroy CO,
combined with increasing emissions of CO from

industry and transportation and from biomass burn-
ing, would increase atmospheric ozone (O3). Indeed,
in urban areas, and in biomass burning plumes,
characteristic positive correlations between CO and
O3 were observed. The third concern about CO was,
as mentioned, that increased emissions would ‘con-
sume’OH via the reaction CO1OH, and diminish the
OH-based oxidative ‘capacity’ or ‘power’ of the
atmosphere. Through this, less OH would remain
available to remove other reduced gases, notably
methane. This would then affect the atmosphere’s
radiative properties, and enhance the anthropogenic
greenhouse effect. An increase of ozone, which could
prove damaging for plants and animals, is also of
concern because of its greenhouse effect. Theoretical
studies have shown that the abatement of themethane-
related greenhouse effect can be achieved partly by
reducing anthropogenic emissions of CO. This is a
useful prospect.

The present situation is that while the chemistry of
CO is well understood, its atmospheric budget is
rather ill defined. Budget estimates are based on
emission estimates, atmospheric observations (surface
based, from aircraft, and remote sensing from satel-
lites), and three-dimensional modeling. However, as
one of the most intensively studied atmospheric trace
gas, fairly detailed information about its isotopic
composition (13C, 17O, 18O, 14C) is available, and
much has been learned about the distributions, trends,
and sources of CO.

A long-term increase in CO in the Northern
Hemisphere seems to have been halted or reversed
over the last 15 years or so. This may have had several
reasons, i.e., improved combustion efficiency in in-
dustry, at home, and particularly in the transporta-
tion sector, or an increase in the rate of CO removal
from the atmosphere. Thus, despite increasing
fossil fuel use and an ever growing global fleet of
vehicles, related CO emissions may not have in-
creased much. This is due mainly to improved com-
bustion technologies, and the global change from coal
to oil, and recently more use of natural gas. Notewor-
thy also is the success of catalytic converters in cars,
thanks to which corresponding CO vehicle emissions
have been reduced by a factor of 10 ormore.However,
there still is considerable uncertainty about CO
variation in space and time, and projections for the
future. The rapid industrialization in developing
economies may increase the global atmospheric bur-
den of CO once more, as fossil fuels continue to
dominate the energy supply. Moreover, the main
question of to what degree the OH-based oxidative
capacity of the Earth’s atmosphere has changed, and
what the role of CO emission changes has been, is not
yet well resolved.

2390 TROPOSPHERIC CHEMISTRY AND COMPOSITION / Carbon Monoxide



Measurement of CO and Its
Distribution in the Atmosphere

Measurement of CO in an air sample requires –
depending on the chemical or optical techniques
deployed – a few milliliters to a few liters of air. For
high concentrations in the micromole-per-mole
range (industrial and domestic), small detectors
based on electrochemical cells are becoming common-
place. For outdoor air, in particular background
air with mixing ratios of 40 to �200 nmolmol� 1,
accurate and precise assay still is somewhat difficult
and in development. Table 1 gives an overview of
the main techniques used in descending order of
usage. Measurements may be subject to contamina-
tion, and many require accurate reference gases
to quantify the CO in a sample. Because it is not
practical to have measurement equipment installed
at the many locations required to obtain a global
picture of the complex distribution of atmospheric
CO, it is common for samples of air to be collected
at remote sites, then analyzed within a few months
in the laboratory using the techniques outlined in
Table 1. This approach has allowed construction of

a detailed picture of global surface CO, as shown
in Figure 1.

The first measurements of CO were made from the
surface during the late 1940s, but only in the late
1960s and 1970s was the global distribution of CO
defined by widespread surface and aircraft surveys. In
the late 1980s, programs dedicated to monitoring
global atmospheric CO were begun. Remote sensing
of CO (exclusively by spectroscopic and optical
methods) is gaining importance. On four occasions
(in 1981, 1984, and 1994 spring and fall) a near-global
picture was obtained using a gas filter correlation
instrument (MAPS, Measurement of Air Pollution
from Space) flown aboard the US Space Shuttle. A
similar type of instrument (MOPITT,Measurement of
Pollution in the Troposphere) was installed on the
NASA satellite TERRA and launched in 2000. MO-
PITT has been providing an as yet unparalleled global
picture of CO in the troposphere. SCIAMACHY
(SCanning Imaging Absorption spectroMeter for At-
mospheric CHartographY), as part on the ESA
ENVISAT satellite (launched March 2002), also pro-
vides a global picture. From satellite data some vertical
information can be retrieved as well. The great value
of satellite observations is the global coverage
(Figure 2), bywhich themovements of entire pollution
plumes can be traced in real time. Modeling of these
data using three-dimensional chemical transport
models will provide a better understanding of the
CO budget.

In the remote atmosphere, CO mixing ratios typi-
cally range from 40 to 200 nmolmol� 1, with lower
mixing ratios found in the Southern Hemisphere (40–
80 nmolmol� 1) and higher levels in the Northern
Hemisphere (60–200 nmolmol� 1). Typical for the
distribution of CO in clean surface air are its large
seasonal cycle and the gradient between the two
hemispheres (Figure 1).Given that the soil sink is small
(10%) and that interhemispheric difference in OH
between the two hemispheres is not large, the north–
south gradient reflects mainly the differences in source
strengths (in particular, the larger amounts of CO
produced through the combustion of fossil fuels and
biomass in the Northern Hemisphere, and the trans-
port of emissions into the Arctic during winter). The
large seasonality, however, is related directly to OH
changes between the seasons, and the seasonality of
biomass burning. In the free troposphere, seasonal
changes as detected by aircraft measurements are less.
In the Northern Hemisphere, at high latitudes in
winter, the tropospheric vertical gradient of CO is
strongly negative. In the Southern Hemisphere, the
opposite has been observed above Tasmania, for
instance. The reason for this is that CO from biomass
burning is transported in the upper troposphere,

Table 1 Analytical instruments for measuring atmospheric CO

with approximate performance data

Instrument Detection

limit

(nmolmol� 1)

Precision

(%)

Remark

GCa 1 1 Widely used, with

different

detectors. Time

interval 2–3min,

difficult

calibration.

NDIR/GFCb 20–50 1–10 Spectroscopic

measurement.

GFC has been

used on

satellites.

FTIRc 1 0.5 Can measure many

trace gases.

Vuv fluorescenced 1 1 Relatively new, it is

becoming more

widely used.

Fast technique.

TDLASe 1 1 Specialized

technique. Fast

response time.

aGas chromatography. Common is the reducing gas detector

containing hotmercury oxide, inwhichHgO is reducedbyCO, from

which mercury vapor is easily measured.
bNon dispersive infrared/gas filter correlation.
cFourier transform infrared spectroscopy.
dVacuum ultraviolet fluorescence.
eTunable diode laser spectroscopy.
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where its lifetime is longer, whereas surface sources
are small in most of the Southern Hemisphere. Above
the tropopause CO mixing ratios decline rapidly
everywhere, thus delineating a ‘chemical’ tropopause

(Figure 3). Stratospheric values reach a low of 10 to
15 nmolmol� 1, with the oxidation of CH4 the sole in
situ source. Very much higher in the atmosphere the
photolysis of CO2 is a source of CO.
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Figure 1 The latitudinal and seasonal changes of atmospheric carbon monoxide determined from its measurement in air samples

collected biweekly at a large number of stations remote from major pollution sources. (Courtesy NOAA-CMDL, Boulder, CO).
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The Sinks, Sources, and Budget of CO

Sinks of CO

Table 2 (the global troposphericCObudget) shows the
three processes by which CO is removed from the
troposphere. One is its transport into the stratosphere,
which itself has as its principal source of CO the
oxidation of CH4. CO may also be lost to soils. It
diffuses and is transported by airmovements into soils,
where it can be metabolized by bacteria. Soil moisture
and temperature are important factors in this process.
However, it is reaction with OH (CO1OH-
CO21H) that is the dominating process by which
CO is removed from the atmosphere.

Sources of CO

The total annual source of CO is believed to be
between 2000 and 3000Tg. It is important to note the
distinction between surface sources and atmospheric
sources (Table 2). The surface sources are largely
responsible for the strong vertical and horizontal
gradients andaffect the seasonal cycles, in particular in
the Northern Hemisphere. The boundary layer over

densely populated and industrialized regions is strong-
ly affected by CO emissions from combustion proc-
esses (industry and transport; waste burning; domestic
wood burning for heating and cooking). In the
Northern Hemisphere, on a local scale these resemble
point sources; however, combined they provide re-
gional-scale sources with global impact.

Biomass burning is also a prolific surface source,
occurring throughout much of the world. The inten-
sity of forest and savanna fires varies strongly
throughout the year, and from year to year. The main
regions of biomass burning are the tropics, including
forests and savanna regions, and the boreal forests of
northernAsia andNorthAmerica. Forest and savanna
fires dominate the Southern Hemisphere CO budget
towards the end of the dry season (austral spring,
September through November). Biomass burning
contributes much to the large interannual variability
of CO. For example, in late 1997 severe and wide-
spread forest fires occurred in Borneo and Indonesia
during El Niño conditions, producing large amounts
of CO which had a major impact on tropical CO. In
some years, CO from boreal forest fires in Canada has
been detected in the stratosphere over western Europe
and in the lower troposphere along the east coast of the
United States. Figure 4 shows the variability of the
extratropical Northern Hemisphere CO mixing ra-
tios. The summer minima are shown to be strongly
influenced by the burning of boreal forests in North
America andRussia.Table 3 gives a breakdown ofCO
production by each combustion source category.

Another important surface source is provided by
vegetation. While direct emission of CO from plants
does not occur in large amounts, emissions of volatile
organic precursor compounds, in particular ter-
penoids, provide a large source of CO to the lower
atmosphere. Within a matter of hours these com-
pounds react with OH (and to a lesser extent with O3)
to yield CO. These emissions therefore constitute a
quasi-surface source.
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Table 2 The tropospheric budget of CO, sources and sinks in

(Tg Year� 1)

Source Sink

Industry and

transportation

300–500 Reaction with OH 1400–2600

Biomass burning 300–700 Soil uptake 250–640

CH4 oxidation 400–1000 Loss to the

stratosphere

� 100

NMHC oxidation 200–600

From emissions

by vegetation

60–160

Oceans 20–200

Total sources 1280–3160 Total sinks 1750–3340
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The photochemical sources of CO are generally
more uniformly distributed than the true surface
sources, as they originate from precursors that can
be transported some distance away from the original
location of their emission. In particular, strong
convective processes can lift polluted boundary layer
air into the upper troposphere, where transport can
be fast.

The longer the lifetime of the precursor, the more
diffuse the source. The best example is CH4, which
with a lifetime of about 8 years, shows only minor
gradients and variations. Because the reaction with
OH that initiates the break down of CH4 is temper-
ature-dependent, and because most OH resides in the
tropics, this part of the globe hosts most of the 400 to
1000Tg CO that is produced annually from CH4

oxidation. The CH4 oxidation source is a major
source, and on a global scale disperse. It is noted that
formaldehyde (HCHO) is a major photochemical
source of CO. Nevertheless, it is not listed separately
because it is a short-lived intermediate in the photo-
oxidation of many organic compounds (CH4, non-

methane hydrocarbons (NMHCs), and volatile
organic compounds (VOCs)).

The oxidation of NMHCs forms a source with a
distribution that more broadly reflects the source
region of these compounds. Ethane emitted in the
Northern Hemisphere will barely contribute to CO
production in the Southern Hemisphere. Understand-
ing of the NMHC oxidation source is limited by the
paucity of information about its distribution in rela-
tion to the distribution of OH. Apart from NMHC
compounds, CO is produced from the atmospheric
oxidation and photolysis of a broad range of organic
compounds, classified as VOCs. They form a hitherto
ill-documented source of CO. Owing to their low
concentration and the variety of chemical species,
measurements have not yet provided a conclusive
picture. One of the major remaining questions in the
global CO budget is related to the abundance of CO
produced through the photochemical destruction of
nonmethane hydrocarbons. The CO yields from these
compounds are uncertain, and differences among
budgets often result from different oxidation path-
ways used to describe their chemistry.

Finally, there are several smaller surface sources of
CO, all of which are related to the photooxidation of
organic material by UV light. The oxidation of plant
litter by sunlight is a source for CO, but its contribu-
tion is found to be not important on a global scale.
Arid soils may also be a small source of CO, related to
the production of CO from organic debris. Also, snow
exposed to sunlight releases some CO, which is
negligible on a global scale. The oceans constitute a
potentially significant surface source of CO through
the oxidation of dissolved organic matter at the sea
surface, but the uncertainty here is very large. The
supersaturation of surface oceanwater in CO is highly
variable.

The Atmospheric Chemistry of CO

The atmospheric turnover of CO is large, with CO
acting as the main reaction partner of OH (the
atmosphere’s pivotal oxidant). In fact, the reaction
CO1OH not only removes nearly all CO, but also
constitutes a main loss process for OH itself. Over
50% of all OH reacts with CO.With an annual global
average OH concentration of 106 radicals cm�3, the
lifetime of CO can be roughly estimated to be 3
months.

In much of the lower atmosphere, when levels of
nitrogen oxides are low, the oxidation of CO is linked
to the production anddestruction ofOH.For instance,
over the tropical Pacific, the hydroperoxl radical
(HO2), produced during CO oxidation, may react

Table 3 Fractional contributions (%) from the various anthro-

pogenic CO sources

Source Fraction

Road transport 22

Agricultural waste burning 21

Biofuel 19

Savanna burning 18

Deforestation 11

Residential 5

Industrial processes 4
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Figure 4 The time series of CO in the extratropical Northern

Hemisphere derived from the smoothed surface data shown in

Figure 1. The 1997 and 1998 seasonal cycles were strongly
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with O3, destroying ozone while regenerating OH.
Generally when NOx is low, that is when the ratio of
NO to O3 falls below about 2.5� 10� 4 (or at
40 nmolmol�1 O3, only 10 pmolmol� 1 or less
NOxðNOx ¼ NOþNO2Þ) ozone destruction domi-
nates, leading to a loss of OH and depressed rates of
oxidation.

Formation of OH:

O3 þ hnðlo330 nmÞ ! O2 þOð1DÞ
Oð1DÞ þH2O ! 2OH

Oxidation of CO:
COþOH ! CO2 þH
HþO2 þM ! HO2 þM
HO2 þHO2 ! H2O2 þO2

H2O2 1 : ! Wet deposition
2 : þ hn ! OHþOH

Loss of O3:
COþOHþO2 ! CO2 þHO2

O3 þHO2 ! 2O2 þOH

In this way, the oxidation of CO1OH typically leads
to a loss of OH in the background atmosphere,
because H2O2 is removed.

However, reaction with CO does not necessarily
lead to a net loss of OH. Indeed, in a typical biomass
burning plume, or in urban air when both CO and
sufficient levels of nitrogen oxides are present, the
photochemical reactions initiated by sunlight will
produce O3. The reaction chain in the presence of
sufficient NO is:

Oxidation of CO:
COþOHþO2 ! CO2 þHO
NOþHO2 ! NO2 þOH
NO2 þ hn ðlo405 nmÞ ! NOþO
OþO2 þM ! O3 þM

Net result :
COþ 2O2 þ hn ! CO2 þO3

In these reactions, NO, NO2, OH, and HO2 are
catalysts. OH is recycled and ozone, the precursor
of OH, is formed. This regime of oxidative
increase is active when NOx levels are sufficiently
high.

The reactionCO1OHis one of themost extensively
studied gas phase reactions, being important in com-
bustion technology and in atmospheric chemistry.
The reaction involves the HOCO complex, and is
pressure-dependent. The reaction rate constant
k ¼ 1:5�10�13 ð1þ 0:6pÞ cm3molecule� 1 s�1, in
which p is the pressure as a fraction of the surface
pressure.

COþOH $ HOCOn ! CO2 þH

The Budget of CO

The global budget of CO includes four main source
catagories: (1) the combustion of fossil fuel, (2) the
combustion of biomass, (3) the oxidation of CH4, and
(4) the oxidation of other volatile nonmethane hydro-
carbons. Table 2 leaves no doubt that there are
considerable uncertainties in the budget of CO. Given
that the distribution of CO and the distribution of OH
are reasonably well known, the smallest uncertainty is
expected in the total sink strength.However, the factor
of nearly 2 in the range in Table 1 is a conservative
estimate, and assumes the addition of the maximum
uncertainties in the CO distribution as well as in OH,
plus the uncertainty in the reaction rate.

Figure 5 provides insight into the make-up of
atmospheric CO according to its sources. This exam-
ple is based on the Southern Hemisphere (which has a
less complexbudget), and the use of a zonally averaged
model. Note that the absolute amount of CO from the
oxidation of CH4 is fairly constant just below
20 nmolmol� 1. The reason is that although in sum-
mer CO is produced faster from the reaction of OH
with CH4, at the same time more is also removed. It
has been calculated that about 80–95% of CH4

oxidized yields CO. These figures are based on both
laboratory measurements and calculations. During
February to March, at the end of the austral summer,
CO bottoms out at about 45 nmolmol�1. From then
onwards, the rate of removal byOHdecreases and the
input from biomass burning gains momentum up to
September andOctober–November, the end of the dry
season in the Southern Hemisphere. The interannual
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variations in the amount of biomass burned and CO
emitted play a strong role in determining the maxi-
mum CO levels reached during any given year.

The Use of Isotopic Information

Information about the budget and sources of CO is
also derived from isotopic information. 14CO emerges
from 14C that is produced by nitrogen nuclei reacting
with neutrons generated in cosmic radiation in the
upper atmosphere. About 25% is formed from the
oxidation of biogenic precursors. 14CO, which is 1011

times less abundant than CO, nevertheless is used to
estimate OH. The stable isotopic molecules, 13CO,
C17O, andC18O, are abundant at the 1%, 0.04%, and
0.2% levels. These levels are subject to variations of
2% or less, caused by differences in the isotopic
makeup of the sources as well as the fractionation
effects occurring in the removal of CO by OH. CO
from high-temperature combustion has about 2%
more 18O, because atmospheric oxygen is enriched.
CO frommethane oxidation has 2% less 13C, because
methane produced by microbial processes is depleted
in 13C. CO by reaction with OH is preferentially
enriched in 18O by 1%, and depleted in 13C by 0.5%.
Because CO produced by different sources has unique
isotopic signatures, the isotopic ratio of atmospheric
CO provides insight to its origin.

Changes in CO from the Pre-Industrial Era Into the
Future

How the budget and the atmospheric burden of CO
will change in the future is a major question. Even
changes that occurred in the past remain enigmatic.
Although CH4 levels have been accurately recon-
structed from air samples extracted from ice cores in
the laboratory and in situ from polar firn deposits, for
CO this appears problematic. Analysis of air extracted
from Antarctic ice cores seems to indicate that the
average level prior to the industrial revolution was
about 50 nmolmol� 1 in the remote Southern Hemi-
sphere. But it is noted that calibrationofCOat this low
levelwas problematic at the time ofmeasurement. The
level indicated is not much different from today’s
levels, suggesting no change over the past 30 to 40

years. This would mainly imply an unchanged rate of
biomass burning in the Southern Hemisphere and no
large changes in OH. Analysis of ice core material
from Greenland suggests that annual average CO
levels 100 years agowere 30–40% lower than today’s ,
in agreement with the expectation that industrial
emissions have increased in theNorthernHemisphere.
However, there is some doubt about the integrity of
CO data from Arctic ice cores, because CO may have
been formed in situ due to the presence of reduced
organic compounds in the ice.

With the past being little of a guideline, the
prediction of future changes hinges inherently on a
range of assumptions. Table 4 shows the outcome of
11 atmospheric chemistry-transport models simulat-
ing current annual mean CO concentrations at five
locations. While the range of values calculated from
the models bracket the measurements, the disparity
indicates that much more work is needed to better
quantify the atmospheric CO budget. A central
problem is to know the sources better, in particular
the amount of CO produced by forest and savanna
burning, and from the chemical reactions that produce
CO from hydrocarbons and VOCs. The models need
to reproduce present-day measurements before they
can be used to forecast future scenarios.

See also

Biogeochemical Cycles: Carbon Cycle. Global
Change: Ozone Trends. Isotopes, Stable. Methane.
Ozone: Ozone Depletion; Ozone Depletion Potentials;
Ozone as a UV Filter; Photochemistry of Ozone; Role in
Climate. Satellite Remote Sensing: TOMS Ozone.
Stratospheric Ozone Recovery. Tropospheric
Chemistry and Composition: Aliphatic Hydrocarbons;
Aromatic Hydrocarbons; Biogenic Hydrocarbons (inc.
isoprene); Oxidizing Capacity; VOCs Overview.

Further Reading

Khalil MAK, Pinto JP, and Shearer MJ (eds) (1999) Carbon
monoxide. Chemsphere Global Change 1 (1–3) (special
issue):

Table 4 Performance of models in calculating the annual mean of CO (nmolmol� 1) at five surface stations

Barrow Mace Head Mauna Loa Samoa Tasmania

Models 100–160 108–223 66–92 50–68 58–80

Measurements 139–148 129–137 90–103 58–68 50–57
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Introduction

Molecular hydrogen (H2) belongs to the group of the
fivemost abundant trace gases in the troposphere. The
mean tropospheric mixing ratio is roughly about 500
parts per billion by volume (ppbv), a volume fraction
of 500 � 10� 9. In the atmosphereH2 is also present in
two isotopic forzms: the stable compoundHD (1H2H)
and the radioactive form HT (1H3H). In contrast to
carbon dioxide (CO2), methane (CH4), nitrous oxide
(N2O), and carbon monoxide (CO), H2 is not a
greenhouse gas. Scientific interest in its atmospheric
distribution and budget has been mainly due to the
following aspects.

1. During the nuclear weapons tests in the 1950s,
radioactive tritium (3H)was released in the formof
HT into the atmosphere in significant amounts.
The need for information about possible removal
mechanisms other than radioactive decay motivat-
ed the first detailed studies of the global budget of
molecular hydrogen.

2. In addition to carbon monoxide (CO), H2 is a
major product of the photochemical oxidation of
CH4 and other hydrocarbons in the atmosphere.
Therefore, the tropospheric cycles of these three
trace gases are strongly coupled and information
on the H2 budget will also improve the knowledge
about the tropospheric budget of the other species.

3. In addition to methane (CH4) and water vapor
(H2O), H2 contributes to the budget of total water,
defined as

P
H2O ¼ 2CH4þH2OþH2, in the

stratosphere. Because the greenhouse effect of
H2O contributes to the negative forcing (cooling)
in the lower stratosphere, and owing to the direct
effect of water vapor in heterogeneous reactions
that activate reactive chlorine, the temporal evo-
lution of

P
H2O is of some importance for the

future development of the stratospheric ozone
layer. Therefore, the tropospheric H2 budget
must be understood in order to assess a possible
long-term global trend of the H2 mixing ratio and
its contribution to the temporal trend of

P
H2O in

the lower stratosphere.

This article summarizes the known information about
the spatial and temporal distribution of molecular
hydrogen in the troposphere. The most important

production and removal terms that contribute to the
global tropospheric H2 budget are reviewed from the
current literature.

Global Tropospheric Abundance

The first reliable observation ofmolecular hydrogen in
tropospheric airwasmade in 1923 by P.M. Schuftan at
an air liquefaction plant in Southern Germany. He
found a mixing ratio of 5007100 ppbv, which was
first reported in the scientific literature by F.A. Paneth
in 1937. Until 1980 only few measurements of H2 in
the nonurban atmosphere were available. These are
summarized in Figure 1 together with the results
obtained during some more extended series of obser-
vations that were made up to 2000.

Apparently, the available historical data set does not
indicate any systematic long-term trend of the global
H2 mixing ratio. Two more recent studies have
reported a slight increase over observational periods
of a few years. However, the study in 1999 by Novelli
and colleagues which includes observations from a
large number of globally distributed stations rather
indicates a slight decrease of the H2 mixing ratio of
about 3% over the period from 1991 to 1996.

The early data plotted in Figure 1 suggest a larger
variability than those obtained after 1980. In large
part this is due to the individual absolute calibration
scales employed during the different observational
series reviewed in 1979 by Schmidt and colleagues.
Later data reported by various workers (see Further
Reading) indicatemore consistentmeanmixing ratios.
The observed variability is mainly due to the seasonal
variation of the H2 mixing ratio, which was only
noticed during these more systematic studies.

Latitudinal Distribution

A closer inspection of the historical data reveals
another important feature of the global distribution.
Data reported by Schmidt for 1971–72 indicated an
H2 level in surface air of theNorthernHemisphere that
is about 6% higher than that observed in the Southern
Hemisphere. The interhemispheric difference was
only about 1.5% in the upper troposphere and a
similar value (about 1.3%) was derived later by
Schmidt from observations made in 1974.

In contrast, more recent observations show surface
air mixing ratios that are consistently lower in the
Northern Hemisphere than in the Southern Hemi-
sphere. These observations are displayed in Figure 2.
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The most comprehensive global data set, that of
Novelli and colleagues, obtained over the period from
1992 until 1995, indicates mean surface H2 mixing
ratios that are largest (about 540 ppbv) in the tropical
region and decrease with increasing latitude to values
close to 530 ppbv and 480 ppbv in the Southern and
Northern Hemispheres, respectively. No new data for
the free upper troposphere have become available in
recent times.

Although there is no significant long-term trend in
the historical record of the global mean mixing ratio
(see Figure 1), the data plotted in Figure 2 suggest that
the surface mixing ratios might have varied with time
by some 3–4%. But the differences in the absolute H2

levels of the three data sets, which amount to about
20–40 ppbv, might also be attributed to possible
differences in the absolute calibration scales. How-
ever, there is clear evidence for a reversal of the
relative, interhemispheric, difference of H2 the mixing
ratio over the last about three decades. This reversal is
most probably due to a decrease of the mean H2

mixing ratio in the Northern Hemisphere.

Seasonal Variability

The first systematic long-term measurements at mon-
itoring stations revealed another cause of the observed
natural variability of H2 in surface air: a pronounced
seasonal variation. The amplitude of the seasonal
cycle is about 20 ppbv in the SouthernHemisphere but
is significantly larger, some 70 ppbv, in the Northern
Hemisphere, in particular at higher northern latitudes.

In fact, this seasonal variation is the cause of much of
the observed asymmetry in hemispheric mean H2

levels. The average latitudinal gradient displayed in
Figure 2, derived from the comprehensive data
collected at about 50 globally distributed sites, is due
to the generally lower seasonal minima in the North-
ern Hemisphere.

In addition to this difference in amplitude, the
seasonal cycles exhibit another interesting feature: a
nonsymmetric timing of the seasonal minima and
maxima. In the Northern Hemisphere, highest H2

mixing ratios are observed inMarch and April (i.e., in
early spring), while they are observed in the December
to February period (i.e., in early summer) in the
Southern Hemisphere; that is, the shift between both
hemispheres is only 3 to 4 months. A typical example
of the different timing of the seasonal cycles is shown
in Figure 3, which compares the annual variation of
H2 at the stationsMace Head (531N) and Cape Grim
(421 S).

H2 Sources

The observed seasonal variation and its different
timing in both hemispheres must be the consequences
of a rather complex interaction of the production and
destruction processes for atmospheric H2. Moreover,
the reversal of the interhemispheric H2 distribution
(see Figure 2) strongly suggests that the strength of
some of the major source or sink processes must
have changed over the last few decades. The global
budget of H2 is believed to be largely determined by
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Figure1 Timeseries of reliableobservationsofmolecular hydrogen in nonurban tropospheric air. Thedata for the period from1950until

1977 are from (a) Ehhalt et al. (1977); (b) Schmidt (1974); (c) Schmidt (1978); (d) Heidt and Pollock (1976); (e) Seiler et al. (1978); (f) Herr

andBarger (1978); and (g) Fabian et al. (1978). The data for the period from1985 until 1997were taken from themore systematic studies:

(h) and (i) Khalil andRasmussen (1990); (j)Novelliet al. (1999); (k) Franceyet al. (1998); and (l) Simmondset al. (2000).Boxes indicate the

variability (vertical scale) and the timeperiod (horizontal scale) of the various observations.Openand shadedboxes represent data for the

Northern and Southern Hemispheres, respectively.
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natural processes. However, a number of important
anthropogenic sources have also been identified.
The sources are briefly discussed in the following
sections. Updated estimates of the principal produc-
tion rates were published by Ehhalt and by Novelli
and colleagues.

Combustion Processes

Observations in urban air or continental air masses
generally show higher mixing ratios than those in
background tropospheric air. This suggests that in-
dustrial combustion processes and motor vehicle
exhaust in particular are major sources of H2. Direct
quantification of the strength of this source is difficult.
Best estimates rely on the correlation of the observed
mixing ratio increments above the H2 background
values relative to that of carbon monoxide (CO),
a trace gas for which the anthropogenic source

is much better known. Novelli and colleagues,
as well as Simmonds and colleagues, reported
correlation ratios significantly lower than those
reviewed by Warneck in 2000. Novelli and colleagues
estimate the anthropogenic emission of H2 from
automotive exhaust and other technological processes
as 15� 10Tg year�1. Most of this production (be-
tween 80% and 95%) should be released in the
Northern Hemisphere. Simmonds and colleagues
reported substantially lower ratios of the H2 and CO
increments in European air masses. If these lower
values are shown to be representative for the present
global H2 emissions from technological sources, the
above estimate of this source must be strongly
reduced. Because anthropogenic emissions from fossil
fuel combustion continue to increase steadily with
time, absolute H2 emission rates from fossil fuel use
must have dropped substantially over recent decades
in order to cause the observed reversal of the
interhemispheric difference in the H2 mixing ratio.

Biomass burning is another anthropogenic process
that releases H2 to the atmosphere. Estimates of this
source are based mainly on measurements of the H2/
CO2 concentration ratio measured in natural fire
plumes and during laboratory combustion experi-
ments. Novelli and colleagues reviewed previous
estimates and reported a strength of this source as
1675Tg year� 1. It is generally believed that at least
80%of all fires are caused by humans.Most fires occur
in the tropical region and in the extratropics of the
NorthernHemisphere. Therefore, 60%of the totalH2

emissions from biomass burning are expected to occur
in the Northern Hemisphere.

Photochemical Production

The photochemical oxidation of volatile hydrocar-
bons is by far the largest natural source of H2. The
reaction of methane (CH4), the most abundant
hydrocarbon in tropospheric air, with hydroxyl rad-
icals (OH) initiates a reaction sequence ([I]–[IV]) that
produces formaldehyde (HCHO).

CH4 þOH ! CH3 þH2O ½I�

CH3 þO2 þM ! CH3O2 þM ½II�

CH3O2 þNO ! CH3OþNO2 ½III�

CH3OþO2 ! HCHO þHO2 ½IV�
Although the four reactions of this sequence do not

fully describe the more complex chemical processes of
CH4 oxidation in the real natural troposphere, it may
be assumed that each CH4 molecule oxidized yields
one HCHO molecule. The HCHO produced is either
photolyzed in the sunlit atmosphere via the two
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Figure 2 Observations of the latitudinal distribution of H2 in the

troposphere. Boxes represent average H2 levels (and their 1

standard deviation uncertainty) in surface air and in the upper

troposphere as observed by Schmidt (1974, 1978) between 1971

and 1974. Solid dots represent mean mixing ratios obtained by
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mean H2 mixing ratios observed by Novelli et al. (1999) over the
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pathways [V] and [VI] or is destroyed by reaction with
OH radicals as in reaction [VII].

HCHOþ hn ! HþHCO ½V�

HCHOþ hn ! H2 þ CO ½VI�

HCHO þOH ! HCOþH2O ½VII�
Only the second photolysis reaction [VI] leads to the

formation of H2. Therefore, the H2 production rate
depends on the relative rates ofHCHOdestruction via
the three pathways, and will vary with altitude,
daytime, and season. Assuming a mean global tropo-
spheric OH concentration of about 106 cm� 3, as
derived from global observations of methylchloro-
form (CH3CCl3), a global H2 production through
CH4 oxidation of 2679Tg year� 1 was estimated.
Owing to the small interhemispheric gradient in the
global distribution ofCH4, thisH2 source should be of
the same magnitude in both hemispheres.

Similar reaction sequences produce HCHO during
the oxidation of nonmethane hydrocarbons (NMHC);
the oxidation of isoprene, for example, yields about 3
molecules of HCHO per isoprene molecule. However,
the oxidation reaction sequences for the different
compounds belonging to the group of NMHC species
(e.g., isoprenes and terpenes) are much more complex
than that for CH4. Net HCHO yields depend on the
amount of NOx in the air mass and on the efficiency of
heterogeneous reactions, in particular in the absence
of sunlight. Furthermore, the global distributions,
emission rates, and degradation processes for many
NMHC compounds are only poorly understood,
although these species are ubiquitous in the global

troposphere. Therefore, global estimates of the H2

production from these compounds have considerable
uncertainties. Novelli and colleagues in 1999 estimat-
ed the global H2 source from the oxidation of NMHC
compounds in the range 1477Tg year� 1. This pro-
duction rate is about 30% lower than the estimate by
Ehhalt. Owing to the global partitioning of the
NMHC emissions, about 70% of this H2 production
is released into the Northern Hemisphere.

Ocean Surface Waters

As a result of H2 production by microorganisms, the
surface waters of the Atlantic ocean were observed to
be generally supersaturated by a factor of 3.071.2
relative to surface air. If this value is assumed to be
representative for all oceans, the global oceanic
emission is estimated as 372Tg year� 1. According
to the land–sea partitioning, about 60% of the total
oceanic emission are released into the Southern
Hemisphere.

Nitrogen Fixation

Another rather small source was identified by Conrad
and Seiler, who observed that H2 is released from soils
that are covered by leguminous plants. H2 production
was correlated withN2 fixation by bacteria that live in
symbiosis in the root nodules of these plants. By
extrapolating the measured correlation ratio to
global conditions, these authors estimated the annual
H2 production from this process to be about
372Tg year� 1. Because this source is coupled to
vegetation, the release rate should be largest in the
Northern Hemisphere and also show an annual
variation with a maximum during the main growth
period.
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Figure 3 Seasonal variation of the H2 mixing ratio in surface air at the monitoring sites Mace Head (531 N) and Cape Grim (421 S).
(Adapted from Simmonds et al. (2000).)
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H2 Sinks

Because there is no unambiguous indication of any
long-term trend of the global H2 abundance, the total
H2 production must be balanced by H2 consumption
of the same global strength. To date, only two notable
removal processes have been identified.

Photochemical Destruction

Like many other trace gases, H2 reacts with OH
radicals (reaction [VIII])

H2 þOH ! H2OþH ½VIII�
The global tropospheric distribution of H2 is rather
uniform and its seasonal variation is relatively small
(less than 75%). Since the rate coefficient of this
reaction is well known from laboratory experiments
and themean global OH concentration can be reliably
derived from global measurements of methylchloro-
form (CH3CCl3) the global H2 removal rate can be
estimated to a relatively good precision. For a mean
OH concentration of about 106 cm� 3, the global
strength of the photochemical sink has been estimated
as 1975Tg year� 1. This is only about 25% of the
total H2 production. Owing to the small interhemi-
spheric gradient in the global distribution of H2, the
removal rate should be of the same magnitude in both
hemispheres.

Soil Uptake

A large number of experimental studies have revealed
that uptake by natural soils is most probably the
largest loss process for atmospheric H2. The deposi-
tion velocities for various types of soil determined by
several authors have been reviewed; they cover a broad
range from 0.01 to 0.1 cm s�1 and, if they are
extrapolated to global loss rates, estimates of this
sink include a large uncertainty. Global uptake rates
ranging from about 15 to 110Tg year� 1 have been
reported in the literature. The average global loss rate
for soils reported by Novelli and colleagues,
56741Tg year�1, leads to an almost balanced budget
of global H2 sources and H2 sinks. Measurements of
the isotopic composition of tropospheric H2 showed,
that the global loss rate due to soil uptake should be
limited to about 60Tg year�1. The content of the
heavier stable isotope deuterium (D) in atmospheric
H2 is rather high and H2 released from the known
sources has a relatively low D content. Therefore, the
enhanced D/H ratio in atmospheric H2 must be due to
isotope fractionation that occurs during its decompo-
sition in the loss processes. Because a large isotopic
enrichment factorwasmeasured for the reaction ofH2

with OH but only very small isotope effects were
observed during soil uptake, Ehhalt and colleagues

concluded from available data of D/H ratio in atmos-
pheric and source H2 that the global strength of the
two sinks should be comparable in magnitude. The
photochemical removal by reaction with OH can be
estimated to a reasonably good precision, and isotope
data put a strong constraint on the magnitude of soil
uptake. In fact, global removal by soil uptake may be
overestimated by a factor of 3 if calculations are based
only on H2 deposition velocities published in the
literature.

The Tropospheric H2 Budget

A summary of the production and loss rates for
atmospheric hydrogen is given in Table 1. Updated
estimates derived by Ehhalt and by Novelli and
colleagues are listed for comparison. The total sources
and sinks appear to be balancedwithin the given range
of uncertainties, but for some of the individual terms
the numbers given in both budgets differ substantially.
In particular, the largest dinstinct term in the H2

budget F the loss rate due to uptake by natural soils
F is still only poorly defined.

The budget terms of the global hydrogen cycle are
compiled in Table 2, again based on the work by
Ehhalt and of Novelli and colleagues. From their data
set collected at 50 globally distributed sites, Novelli
and colleagues derived a global mean tropospheric H2

mixing ratio of 53176 ppbv. Owing to the deeper
minima in the seasonal cycle observed in the Northern
Hemisphere, there is about 3% lessH2 in theNorthern
than in the Southern Hemisphere. Assuming no
vertical H2 gradient in the troposphere, the authors
calculate the global tropospheric burden of H2 to
amount to 155Tg. This is very close to the number of
150Tg reported by Ehhalt in 1999. Assuming a global
turnover of the order of 70.0735TgH2 year

� 1, one
obtains a residence time of molecular hydrogen

Table 1 Estimates of sources and sinks of tropospheric H2

Type Novelli et al.

(1999)

Ehhalt

(1999)

Sources (Tg year�1)

Fossil fuel use emissions 15710 20710

Biomass burning 1675 1075

Oceanic emissions 372 372

CH4 oxidation 2679 1575

NMHC oxidation 1477 20710

N2 fixation 371 372

Total sources 77716 71720

Sinks (Tg year� 1)

Oxidation by OH 1975 2575

Soil consumption 56741 40730

Total sinks 75741 65730
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between 1.5 and 4.3 years, with an average value of
2.3 years.

The relative strengths of the sources and sinks and
their partitioning between the hemispheres provide
some clues to the puzzling features of the global H2

distribution. Themajor portion of the global fossil fuel
emissions is released into theNorthernHemisphere. A
significant decrease of the strength of this source could
explain the reversal of the interhemispheric gradient of
the mean H2 mixing ratio suggested by the historical
data.

The role of soil uptake as the dominant H2 sink
seems to be a plausible explanation for the deeper
minima in the seasonal cycles observed in the North-
ern Hemisphere because about 70% of the global
removal takes place on the continental land surface in
this hemisphere.

No satisfactory explanation is yet available for the
observation of the asymmetry in the timing of the
seasonal cycles in both hemispheres. As noted by
Simmonds and colleagues, the seasonal cycle in the
Southern Hemisphere with a maximum during local
summer ‘more closely reflects the photochemical
nature of the main hydrogen source term than meas-
urements in Northern Hemisphere midlatitudes’.

Novelli and colleagues argue that the maximum in
the SouthernHemispheremight additionally be driven
by biomass burning in the tropics. These authors also
examined the effect of the hemispheric partitioning of
the major source and sink terms of the H2 budget (see
Table 1). Their results suggest that the H2 maximum
observed in the Northern Hemisphere during late
winter and early spring is ‘largely driven by the
absence of a strong sink combined with seasonally
independent technological emissions and a maximum
in tropical biomass burning’. They also argue that the
H2 minimum observed in the Northern Hemisphere
during fall results from the combined effects of still
relatively high photochemical H2 removal and strong
soil uptake.

Although some progress has been made in the
qualitative explanation of the main features of the

spatial and temporal distribution of tropospheric H2,
considerable uncertainties remain inmost of the terms
of the global budget. Further investigations of the
budget of the H2 isotopomer HD and of the fraction-
ation of D to H during the major production and loss
processes could help to reduce the present uncertain-
ties. More observations of the ratio of H2 and CO
increments in tropospheric background airwill help to
decide on the importance of decreasing H2 emissions
from fossil fuel combustion as a cause for the reversal
of the interhemispheric gradient of the H2 mixing
ratio.

See also

Chemistry of the Atmosphere: Gas Phase Reactions.
Isotopes, Stable. Land–Atmosphere Interactions:
Trace Gas Exchange. Methane. Stratospheric Chem-
istry and Composition:Hydroxyl Radical. Tropospher-
icChemistry andComposition:BiogenicHydrocarbons
(inc. isoprene); Carbon Monoxide; Hydroxyl Radical.
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Introduction

The key roles played by hydroxyl radicals (OH)within
tropospheric chemistry, including the major sources,
sinks and chemical processes involving OH, are
discussed. The major daytime sources of OH include
the photodissociation of ozone (O3) and nitrous acid
(HONO), the photo-oxidation of formaldehyde
(CH2O) and acetone (CH3C(O)CH3), together with
the ozonolysis of alkenes. Nighttime processes leading
to OH production also include the ozonolysis of
alkenes and, more importantly, nitrate radical (NO3)-
facilitated decomposition of peroxyacyl nitrates
(RC(O)O2NO2) and NO3-initiated oxidation of al-
kenes. The major sink processes for OH are to initiate
the oxidation of carbon monoxide (CO), methane
(CH4), and a wide range of reactive Volatile Organic
Compounds (VOCs), and to form nitric acid
(HONO2) via reaction with NO2. In the presence of
sufficient NO and NO2 (collectively termed NOx),
these oxidation mechanisms are propagated by or-
ganic peroxy (RO2), alkoxy (RO), and hydroperoxy
(HO2) radicals. They regenerateOHand proceedwith
the formation of oxidants such as O3, carbonyls (e.g.,
CH2O), peroxides (e.g., hydrogen peroxide, H2O2)
and organic nitrates (e.g., peroxyacetylnitrate, PAN,
CH3C(O)O2NO2). OH and HO2 chemistry may also
lead to O3 depletion under conditions of low NOx.
Finally, a brief description of several spectroscopic
techniques that have been developed for quantitative
ambient measurements of OH, together with their
recent applications and intercomparisons in ground-

based and airborne field studies of the tropospheric
chemistry of OH, is also given.

Daytime Sources of OH in the
Troposphere

Photodissociation of O3

The primary daytime source of OH radicals through-
out much of the troposphere is the photodissociation
of O3 in its near-ultraviolet (UV) absorption band,
followed by reaction of the O(1D) photoproduct with
water vapor (reactions [I] and [II]).

O3 þ hn ! Oð1DÞ þO2 lo340 nm ½I�

Oð1DÞ þH2O ! 2OH ½II�
However, both the O3 absorption cross-sections
and quantum yields of formation of O(1D) atoms
decrease with increasing wavelength. Consequently,
the rate of O3 photodissociation, jðO1DÞ, and there-
fore the rate of OH production, varies strongly with
changes in atmospheric path length that not only
accompany spatial variations in altitude and latitude,
but also temporal variations on diurnal and seasonal
timescales. Indeed, as illustrated in Figure 1, daytime
measurements of jðO1DÞ and OH often display a
high degree of positive correlation, especially in
clean air that is characteristic of remote environments
and has relatively simple photochemistry. The rate
of production of OH via O3 photodissociation is
also influenced by quenching of O(1D) to O(3P)
atoms via collision with tropospheric N2 and O2

(reaction [III]).

Oð1DÞ þM ! Oð3PÞ þM M ¼ N2; O2 ½III�
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The fractional conversion, f , of O(1D) into OH is
described approximately by eqn [1], where PH2O is the
partial pressure of water vapor and P is the total
pressure.

f ¼ PH2O=½PH2O þ 0:13ðP� PH2OÞ� ½1�

Photodissociation of HONO and Photo-Oxidation
of CH2O

Clearly, the factor, f , must be taken into account
when comparing the relative importance of OH
produced directly upon UV photodissociation of
other precursor molecules. For HONO, photo-
dissociation occurs on a time scale of approximately
15min (reaction [IV]).

HONOþ hn ! OHþNO lo400 nm ½IV�
During the darkness of night, HONO concentrations
may build up via heterogeneous hydrolysis of NO and
NO2, and as a result of direct emissions from motor
vehicles. At sunrise, the photodissociation of HONO
provides an earlymorning pulse ofOHat a time of day
when jðO1DÞ is very low due to long atmospheric path
lengths and the low intensity of near-UV solar radia-
tion. HO2 is an important reactive intermediate of the
photo-oxidation of CH2O, and OH may be formed
indirectly via the rapid reaction of HO2with reactions
[V]–[VIII].

CH2Oþ hn ! HþHCO lo340 nm ½V�

HþO2 þM ! HO2 þM M ¼ N2;O2 ½VI�

HCOþO2 ! HO2 þ CO ½VII�

HO2 þNO ! OHþNO2 ½VIII�

Urban environments often have high local emissions of
CH2O, whereas O3 concentrations are generally
suppressed due to rapid reaction with elevated levels
of the primary pollutant, NO. Consequently, urban
summertime rates of OH production via reactions
[V]–[VIII] may exceed those via O3 photodissociation
by a factor of 4 or so for typical photodissociation
rates and precursor concentrations.

Photo-Oxidation of CH3C(O)CH3

By contrast, the photo-oxidation of acetone,
CH3C(O)CH3, which produces CH2O as an interme-
diate species, has been suggested recently to be a
significant source ofHO2 andOH (collectively termed
HOx) in the upper troposphere and lower stratosphere
(reactions [IX]–[XV]).

CH3CðOÞCH3 þ hn ! CH3CðOÞ þ CH3 ½IX�

CH3CðOÞ þO2 þM ! CH3CðOÞO2 þM ½X�

CH3CðOÞO2 þNO ! CH3CðOÞOþNO2 ½XI�

CH3CðOÞOþM ! CH3 þ CO2 þM ½XII�

CH3 þO2 þM ! CH3O2 þM ½XIII�

CH3O2 þNO ! CH3OþNO2 ½XIV�

CH3OþO2 ! CH2OþHO2 ½XV�

HO2 þNO ! OHþNO2 ½VIII�
Inclusion of this process in numerical models of
atmospheric chemistry reduces considerably the dis-
crepancies between calculated and measured HOx

concentrations and O3 production rates.
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Figure 1 Simultaneous observations of OH (blue circles) and jðO1DÞ (black line) made during the PRIME’99 campaign at the Silwood

Park Atmospheric Research Station, near Ascot, UK. Data kindly provided by Professor M.J. Pilling and Dr D.E. Heard, University of

Leeds, UK.
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Ozonolysis of Alkenes

The ozonolysis of alkenes (R1R2C5CR3R4) repre-
sents another important process that produces OH,
and may even dominate the photodissociation of O3,
HONO, and CH2O in polluted urban environments.
The initial reactions of alkenes with O3 are generally
slow, but, as shown in Table 1, may proceed at rates
that are comparable to corresponding reactions of
alkenes with OH occurring during daytime and with
NO3during nighttime.Although the details are not yet
understood fully, kinetic and mechanistic laboratory
studies indicate that the electrophylic addition of O3

across the double bond leads to the initial formation
of an energy-rich primary ozonide ([R1R2COO-
OCR3R4]

z), which decomposes rapidly to generate
pairs of energy-rich, carbonyl-substituted Criegee
biradicals ([R1R2COO]z and [R3R4COO]z), and
primary carbonyl compounds (R1C(O)R2 and
[R3C(O)R4], according to reactions [XVI] and [XVII].

O3 þR1R2C ¼ CR3R4

! ½R1R2COOOCR3R4�z ½XVI�

½R1R2COOOCR3R4�z ! R1CðOÞR2

þ ½R3R4COO�z ½XVIIa�

! R3CðOÞR4 þ ½R1R2COO�z ½XVIIb�
The Criegee biradicals either collisionally stabilize,
isomerize and/or decompose to form OH and other
organic radicals, for example by reaction [XVIII] or
reaction [XIX].

½R1R2COO�z ! ½R5CH2 ¼ CðOOHÞR2�z ½XVIII�

½R5CH2 ¼CðOOHÞR2�
! R5CHCðOÞR2 þOH ½XIX�

More recent laboratory studies have shown also that
the fractional yields of OH produced upon ozonolysis
of alkenes are significant under simulated tropo-
spheric conditions, with approximate values ranging
from 0.1 for ethene to 0.85 for a-pinene. The
ozonolysis of alkenes therefore represents a
potentially important daytime source of OH that
may lead to the net production of O3 under certain
conditions.

Night time Sources of OH in the
Troposphere

NO3-Facilitated Decomposition of RC(O)O2NO2 and
Oxidation of Biogenic VOCs

Clearly, OH may also be produced during nighttime
upon ozonolysis of alkenes. However, of more signi-
ficance at night are other non-photochemical thermal
reactions that involve NO3. NO3 has a lifetime with
respect to photodissociation of approximately 5 s
during the day, and its daytime oxidation chemistry
is much less important than that of the more reactive
OH. However, under conditions of low NOx, noctur-
nal NO3 chemistry may lead to OH production
by facilitating the decomposition of peroxyacyl
nitrates (RC(O)O2NO2), as shown in reactions

Table 1 Comparison of tropospheric lifetimes of a range of CO

and VOCs at typical ambient rural concentrations with respect to

reaction with 1.6� 106 molecule cm�3 OH, 30 ppbv O3 and 10 pptv

NO3

VOC OH O3 NO3

Carbon monoxide 30 days

Alkanes

Methane 10 years

Ethane 29 days 91 years

Propane 6.3 days 7.8 years

Butane 2.9 days 2.7 years

2-Methyl propane 3.1 days 1.5 years

Pentane 1.8 days 1.5 years

2-Methyl butane 1.9 days 1.3 years

Alkenes

Ethene 20 h 9.7 days 7.3 months

Propene 6.6 h 1.5 days 4.9 days

1-Butene 5.5 h 1.6 days 3.5 days

2-Butene 2.9 h 2.4 days 2.9 h

3-Methyl propene 3.4 h 1.4 days 3.4 h

1-Pentene 5.5 h 1.5 days 3.5 days

2-Pentene 2.6 h 2.4 h 2.9 h

2-Methyl 1-butene 2.8 h 1.4 days 3.4 h

3-Methyl 1-butene 5.5 h 1.6 days 3.5 days

2-Methyl 2-butene 2.0 h 55min 7.1min

1,3-butadiene 2.6 h 2.4 days 11 h

Isoprene 1.7 h 1.2 days 1.7 h

Aromatics

Benzene 5.7 days

Toluene 1.2 days 1.8 years

Ethyl benzene 23 h

o-Xylene 12 h 4.1 months

m-Xylene 7.1 h 6.6 months

p-Xylene 12 h 3.4 months

Aldehydes

Formaldehyde 18 h 2.7 months

Acetaldehyde 11 h 17 days

Sulfur-containing

Dimethyl sulfide 1.5 days 1.0 h

Dimethyl disulfide 46min 1.5 h

Adapted without permission from Jenkin and Clemitshaw (2000).

ppbv, parts per billion by volume; pptv, parts per trillion by volume.
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[XX] and [XXI].

RCðOÞO2NO2 þM $ RCðOÞO2

þNO2 þM ½XX�

RCðOÞO2 þNO3 ! Rþ CO2 þNO2 þO2 ½XXI�
NO3 may also initiate the oxidation of VOCs such as
alkane hydrocarbons (RH), although, as shown in
Table 1, these are particularly slow reactions ([XXII]).

NO3 þ RH ! HNO3 þ R ½XXII�
Nevertheless, subsequent reactions [XXIII]–[XXVI]
lead to OH production.

RþO2 þM ! RO2 þM ½XXIII�

RO2 þNO3 ! ROþNO2 þO2 ½XXIV�
ROþO2 ! ROþHO2 ½XXV�

HO2 þNO3 ! OHþNO2 þO2 ½XXVI�
For dimethyl sulfide (DMS), which is of marine
phytoplankton origin, and biogenic alkenes such as
isoprene and terpenes, which are emitted by certain
plants and trees, the primary step is the rapid addition
of NO3 rather than H atom abstraction. The subse-
quent reaction mechanisms are quite complex, but in
general, NO3 oxidation of lesser alkyl-substituted
alkenes leads to higher yields ofHOx (andbifunctional
organic nitrates) and vice versa. Indeed, simultaneous
observations of DMS, isoprene, terpenes, NO3, HO2,
and RO2 in the marine boundary layer and forested
regions have provided increasingly convincing evi-
dence for nighttime oxidation chemistry involving
these species and, by implication, the production of
OH. Unfortunately, confirmatory nighttime measure-
ments of OH are relatively scarce, but concentrations
of the order of 2–3� 104 molecule cm�3 have been
recorded on occasion. These data are a factor of 102–
104 less than typical maximum daytime OH values,
and thus represent a significant observational achieve-
ment. Clearly, measurements of OH, NO3, HO2, and
RO2, together with supporting data on O3, NOx ,
HONO, HONO2, and speciated VOCs and organic
nitrates, would provide much improved understand-
ing of the role ofOH in nighttime oxidation chemistry.

Sinks and Reservoirs of OH in the
Troposphere

Oxidation of CO

Figure 2 illustrates schematically the production
of OH via O3 and HONO photodissociation, the

ozonolysis of alkenes, and the photo-oxidation of
CH2O. The mechansism of the oxidation of carbon
monoxide (CO) in the troposphere is also shown. It is
initiated solely by reaction with OH, propagated by
HO2, which reacts with NO to regenerate OH and
produce NO2, and proceeds via the photodissociation
of NO2 with the formation of O3 (reactions [XXVII],
[VI], [VIII], [XXVIII], and [XXIX]).

OHþ CO ! Hþ CO2 ½XXVII�
HþO2 þM ! HO2 þM M ¼ N2; O2 ½VI�
HO2 þNO ! OHþNO2 lo420 nm ½VIII�

NO2 þ hn ! NOþ ðO3PÞ ½XXVIII�

Oð3PÞ þO2 þM ! O3 þM ½XXIX�
Reaction [XXX] is the overall net reaction.

COþ 2O2 þ hn ! CO2 þO3 ½XXX�
This represents a chemical process that rapidly inter-
converts HOx within seconds, NOx within a few
minutes, and does so without consuming either HOx

or NOx.

Oxidation of CH4

Similarly, as shown also in Figure 2, in the presence
of sufficient NO, methylperoxy radicals (CH3O2),
methoxy radicals (CH3O), and HO2 serve to propa-
gate the OH-initiated oxidation of CH4. Once again
OH is regenerated, in this case by reactions [XXXI],
[XIII], [XIV], [XV] and [VIII], and O3 is formed via
reactions [XXXVIII] and [XXIX].

OHþ CH4 ! H2Oþ CH3 ½XXXI�
CH3 þO2 þM ! CH3O2 þM ½XIII�
CH3O2 þNO ! CH3OþNO2 ½XIV�

CH3OþO2 ! CH2OþHO2 ½XV�
HO2 þNO ! OHþNO2 ½VIII�

CH2O is also produced and acts on a time scale of 5 h
as a temporary reservoir species or secondary photo-
chemical source of HO2 (and thus OH) via reactions
[V]–[VIII]. By contrast, in more remote environments
with insufficient NO for reaction [VIII] to dominate
the fate of HO2, O3 is removed via reaction [XXXII]
with HO2, which yields OH.

HO2 þO3 ! OHþ 2O2 ½XXXII�
Competition between reactions [VIII] and [XXXII]
determines whether net production or loss of O3

occurs.
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The mutual reaction of OH and HO2, which is not
shown in Figure 2, represents an important sink or
termination process, which leads to a net loss of HOx

(reaction [XXXIII]).

OHþHO2 ! H2OþO2 ½XXXIII�
By contrast, self- and analogous cross-reactions of
HO2 and CH3O2 lead to the formation of the HOx

reservoir species, hydrogen peroxide (H2O2), and
methyl hydroperoxide (CH3O2H), via reactions
[XXXIV] and [XXXV].

HO2 þHO2 þM ! H2O2 þM ½XXXIV�

HO2 þ CH3O2 þM ! CH3O2HþM ½XXXV�
Figure 3 illustrates the percent contribution of the OH
loss due to reactionwithCO,CH4, andawide rangeof
biogenic and anthropogenic nonmethane hydrocar-
bons (NMHCs) as a diurnal cycle averaged over a field
measurement campaign in a forested region in Europe.
In this case, isoprene was the dominant species

reacting with OH during the day, whereas limonene
and a- and b-pinene became more important during
nighttime. These observations are consistent with
their respective temperature- and light-dependent
vegetative emission rates and OH reactivities.

Oxidation of NO2 and SO2

Apart from a wide range of VOCs and CO, the
oxidation of inorganic compounds such as NO2 and
SO2 is also initiated by reactionwithOH, as shown by
reactions [XXXVI]–[XXXIX].

OHþNO2 þM ! HONO2 þM ½XXXVI�

OHþ SO2 þM ! HSO3 þM ½XXXVII�

HSO3 þO2 ! HO2 þ SO3 ½XXXVIII�

SO3 þH2 þM ! H2SO4 þM ½XXXIX�
The production of nitric acid in reaction [XXXVI]
is the dominant loss mechanism for HOx and
NOx in polluted atmospheres. Dry deposition and
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Figure 2 Daytime tropospheric chemistry illustrating sources of OH via photodissociation of O3 and HONO, ozonolysis of alkenes, and

the photo-oxidation of CH2O. Reaction with OH initiates the oxidation of CO andCH4. In the presence of sufficient NO, OH is regenerated

via reaction of NOwith HO2, andO3 is formed in cyclic reactionmechanisms. Reactions that interrupt or terminate these cycles represent

loss processes for OH and HO2 and include the production of HONO2, H2O2, CH3OOH, and CH3ONO2.
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heterogeneous hydrolysis of NOx are other important
removal pathways. For SO2, however, reactions
[XXXVII] to [XXXIX] not only convert OH to
HO2, but also lead to the formation of sulfuric acid
(H2SO4), which rapidly condenses onto aerosol sur-
faces due to its low vapor pressure, thereby acting as a
potential nucleus for new particle formation. SO2

possesses high aqueous solubility and is therefore also
oxidized in cloud droplets and precipitation, particu-
larly via reaction with H2O2. To illustrate the wide
range of compounds that OH reacts with,Table 2 lists
estimated global emission rates of several important
trace gases and the proportion that is removed via
their reaction with an OH concentration of 1� 106

molecule cm�3.

Comparison between Measured and Calculated OH
Concentrations

For remote, clean air environments, the high level of
agreement typically observed between OH concentra-
tions measured directly and those calculated from a
hierarchy of numerical models of the chemical and
physical sources and sinks of OH, indicate that these
relatively simple systems are sufficiently well under-
stood. However, perhaps it is not surprising that, in
chemically more complex systems such as urban
environments with many large sources of stationary

and mobile anthropogenic pollutants, and forested
regions that are characterized by a variety of biogenic
emissions, the level of agreement between observa-
tions and calculations is typically less good. As
described above, OH plays a central role in the
tropospheric chemistry of most gas-phase organic
and inorganic pollutants. Quantitative measurements
of OH are invaluable in the validation of the chemical
mechanisms and kinetic parameters incorporated
within the models. Indeed, correct predictions of
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Figure 3 The percent contribution of OH loss due to reaction with CO, CH4 and a wide range of biogenic and anthropogenic non-
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(Reproducedwithout permission fromCarslawN,CreaseyDJ, HarrisonD, et al. (2001)OHandHO2 radical chemistry in a forested region

of north-western Greece. Atmospheric Environment 35: 4725–4737.)

Table2 Global emission ratesof tracegasesand their proportion

that is removed by reactionwith amean globalOH concentration of

1�106 molecule cm� 3

Trace gas Global emission

rate (Tg y�1)

Removal by OH (%)

Carbon monoxide 2800 85

Methane 530 90

Ethane 20 90

Isoprene 570 90

Terpenes 140 50

Nitrogen dioxide 150 50

Sulfur dioxide 300 30

Dimethyl sulfide 30 90

(Reproduced without permission from Ehhalt DH (1999) Photoox-

idation of trace gases in the troposphere. Physical Chemistry

Chemical Physics 1: 5401–5408).
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previously unidentified sources and sinks of OH, and
of erroneous rate coefficient measurements, have
resulted from the application of numerical chemical
models to the interpretation of observational data sets
from several field studies.

Measurement Techniques for Field
Studies of OH Radicals

High reactivity with a wide range of VOCs, rapid
interconversion with HO2, lifetimes of the order of
0.1–1 s and highly variable, diurnal, seasonal, and
spatial concentrations between 104 and 108 molecule
cm�3 mean that the quantitative detection of OH
remains one of the most important yet difficult
challenges in tropospheric chemistry. Nevertheless,
several field-proven, spectroscopic measurement tech-
niques have been developed over the last two decades.
Each technique is described briefly below, together
with recent applications and intercomparisons in
ground-based and airborne field measurement studies
of the tropospheric chemistry of OH.

DOAS, L-POAS and MOAS

DOAS (Differential Optical Absorption Spectros-
copy) and L-POAS (Long-Path Optical Absorption
Spectroscopy) are similar to each other but distinct
fromMOAS (Multipass Optical Absorption Spectros-
copy). The former are usually employed to measure
over integrated optical path lengths of several kilome-
ters, whereas the latter utilizes an open, wall-less
White cell with a base length of 6m to yield data that
aremore comparablewith local, in situmeasurements.
Concentrations of OH are derived by applying least-
squares fits of OH reference spectra to the recorded
differential optical density using singular value de-
composition routines. A considerable advantage of
these optical spectroscopic methods for ambient
measurements of OH is that calibration is achieved
using data for absorption cross-sections predeter-
mined in the laboratory. Unlike other techniques,
sophisticated in situ calibration systems are not
required. Detection limits of the order of 2� 105

molecule cm�3 are achievable for optical path lengths
of 2–5 km, with measurement frequencies of approx-
imately 1 to 5min. There have been several recent
reports of the application of DOAS/L-POAS and
MOAS to measurements of OH in ground-based
studies in remote, rural, and more polluted environ-
ments.

LIF and FAGE

LIF (Laser-Induced Fluorescence) and FAGE (Fluo-
rescence Assay by Gas Expansion) are essentially

identical techniques. Ambient air is expanded as a
continuous, supersonic free jet through a nominal
1mm nozzle into a low-pressure detection chamber
maintained at approximately 1 mbar. A laser beam at
308 nm is used to promote ground state X2POH into
the first electronically excited state, A2S. At low
pressure, the fluorescence lifetime of OH is increased
and allows delayed-gated photon counting to capture
the extremely weak OH LIF signal, while discrimi-
nating against the much more intense scattered light.
Interferences arising from the photodissociation of O3

to O(1D) atoms followed by subsequent reaction of
O(1D) with H2O to formOH radicals during the laser
pulse is negligible using 308 nm excitation at low
pressure. Note that HO2 may also be measured by
reaction with NO in the low-pressure gas expansion
chamber to form OH, which are subsequently detect-
ed as described above. Calibration requires not only
measurement of the response to independently quan-
tifiable sources of OH and HO2 coupled to the inlet
system, but also determination of the efficiency of
conversion of HO2 to OH. In addition to their
increasing utility in photochemical reactor chambers,
there have been several recent reports of the applica-
tion of LIF/FAGE to measurements of OH (and HO2)
in ground-based, shipboard, and airborne studies of
tropospheric chemistry in a variety of remote, marine,
rural, and urban environments.

CIMS and IMR-MS

The development of CIMS (Chemical IonizationMass
Spectrometry) for the detection of OH in the atmos-
phere began in the late 1980s and1990s. IMR-MS (Ion
Molecule Reaction-Mass Spectrometry) is identical.
In each case,OH radicals are reactedwith 34SO2 in the
presence of O2 to produce 34SO3, which reacts with
water vapor to form H2

34SO4 according to reactions
[XXXVII]–[XXXIX]. H2

34SO4 is then detected using
quadrupole mass spectrometry as the highly stable
anion, H34SO4

� , following H-atom abstraction by
NO3

� ions (reaction [XL]).

H34
2 SO4 þNO�

3 ! HNO3 þH34SO�
4 ½XL�

OHconcentrations of less than 1� 105molecule cm�3

can be measured in less than 1min. These techniques
have also found increasingly widespread application
in recent ground-based and airborne studies of the
sources and sinks of OH in the troposphere.

Other Methods

Field measurements of ambient OH concentrations
may also be made using a simple, portable and
inexpensive method. This method utilizes the rapid
reaction of OH with o-hydroxybenzoic acid in a
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buffered solution to produce 2,5-dihydroxybenzioc
acid, which is quantified by reverse-phase high pres-
sure liquid chromatography with fluorescence detec-
tion. In clean air, a detection limit of 3–6� 105

molecule cm�3 may be achieved for a sampling period
of 45–90min. Tropospheric OH concentrations may
also be determined from measurements of the differ-
ential loss rates of many NMHCs, especially reactive
alkenes, inwell-defined, summertime urban plumes. A
key assumption is that the observed hydrocarbon
losses are due solely to OH radical reaction, and that
plume dilution is correctly accounted for. Finally,
globally averaged OH concentrations of approxi-
mately 1� 106 molecule cm�3 may be estimated from
measurements of the global budget of methyl chloro-
form (CH3CCl3), which is entirely of anthropogenic
origin and almost exclusively removed by reaction
with OH. Clearly, information about regional- and
local-scale sources and sinks of OH is not provided
from such estimates, but the important role of OH in
tropospheric chemistry on a global scale may be
deduced.

Intercomparisons of Ambient Measurements of OH

Participation in intercomparison exercises represents
an often undervalued but vitally important stage in the
development and validation of new instrumentation
and measurement techniques. Despite the undoubted
importance of making ambient measurements of OH
in order to understand further its central role in
tropospheric chemistry, there have been relatively few
intercomparison exercises carried out over the last two
decades in order to comparemeasurement techniques.
This may have been due partly to the difficult
challenges posed, but this situation may change over
the next decade with further evaluation of the more
recently developed techniques in order to quantify
their selectivity, accuracy, precision, detection limits,
sensitivity, and reliability. However, those OH inter-
comparison exercises that have been carried out have
been informative and instructive.

For example, an intercomparison of airborne meas-
urements of OH was recently carried out above the
Pacific Ocean. LIF and CIMS data recorded on DC-8
and P3-B aircraft, respectively, during two brief close
proximity flights in themarine boundary layer showed
exceptionally good agreement. Flights at an altitude of
5.5 km resulted in an average concentration difference
similar to the measurement uncertainties of each
technique of 40%, but much less than the combined
uncertainties from all the contributing measurements.
In each case, comparisons were made by normalizing
the data with a photo-stationary state model. In
addition, OH concentrations measured between

251N to 251 S latitude over the entire longitude and
altitude range of the study agreed to within 10%,
although the ratio of DC-8:P-3B measurements in-
creased at higher altitudes. These results illustrated no
obvious measurement discrepancies and minimal
common interferences and calibration errors for two
quite distinct OH measurement techniques.

An intercomparison of extensive LIF and DOAS
measurements of OH radicals in a rural environment
in north-east Germany during August 1994 showed
excellent agreement for the same air mass, thereby
demonstrating impressively high degrees of specificity,
accuracy and reliability. As shown in Figure 4, a linear
relationship with a correlation coefficient, r, of 0.90, a
gradient of 1.0970.04 and an intercept of
0.2870.15� 106 molecule cm�3 was obtained from
137 data pairs. Earlier intercomparisons of ambient
OH measurements using L-POAS and CIMS were
carried out at Fritz Peak Observatory, Colorado, in
1991, and during the Tropospheric OH Photochem-
istry Experiment at Idaho Hill, Colorado, in 1993.
In general, good agreement within 30%was obtained
for similar chemical and meteorological conditions,
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which confirmed the absence of significant interfer-
ences or artefacts. A 1992 intercomparison of FAGE
and an obsolete 14CO radiocarbon technique not only
demonstrated good correlation between data sets,
with an r value of 0.86, but also revealed a significant
unresolved calibration discrepancy of a factor of 2.9.
Sadly, the first OH measurement intercomparison
exercise in 1983–84 demonstrated the then unreliable
airborne operation and insufficient detection sensitiv-
ities of LIF and the radiocarbon technique.

See also

Ozone:Photochemistry ofOzone.StratosphericChem-
istry and Composition: HOx; Hydroxyl Radical. Strato-
spheric Ozone Recovery. Ultraviolet Radiation.
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Introduction

The main environmental concern associated with
mercury is accumulation of methylmercury in fish,
which may, if the fish is consumed, cause significant
adverse effects on humans. The fetus is especially
sensitive, and consumption by the mother of contam-
inated fish during pregnancy can lead to irreversible
damage to the central nervous system of the unborn
child. The biogeochemistry ofmercury is complex and
involves accumulation in soils and sediments, methyl-
ation processes, and finally uptake and accumulation
in aquatic food chains.

Although mercury in the atmosphere is normally
present atmixing ratios below parts per 1012 (ppt), i.e.

far below any levels at which risks to human health
may occur, much attention has been given to under-
standing the atmospheric emissions, transport, trans-
formations, and deposition of mercury.

Mercury differs from all other metals because it is
the only one that exists in liquid form at room
temperature. Mercury also has a relatively high vapor
pressure. In the atmosphere, the predominant form of
mercury is elemental monoatomic vapor. This species
is relatively stable and has an atmospheric lifetime in
the range 0.5–2 years.

Mercury is present at background atmospheric
concentrations around 1–2 ngm� 3. Slightly lower
values are found in the Southern Hemisphere, where
anthropogenic emissions are lower than in the North.
During the last 10–20 years, environmental concern
over mercury pollution has led to increased research
efforts to describe the atmospheric pathways of
mercury from emissions to deposition. Figure 1 shows
a schematic description of the main atmospheric
processes involving mercury.
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Emissions

Mercury is emitted from a variety of anthropogenic
and natural sources. Main anthropogenic sources
include coal combustion, the cement industry, chlorine
manufacturing plants, and waste incineration. Source
strengths will vary within each category depending on
themercury content in the rawmaterial and the extent
to which control techniques have been employed.
Natural sources include volcanoes and diffuse emis-
sions from mercury-containing mineralizations. Dif-
ferent emission sources emit different fractions of
mercury species (see Speciation below). The global
anthropogenic emissions of mercury have been esti-
mated to be 1900 t, with Asia contributing more than
50% and Europe and North America less than 25%
each.

Natural emissions and reemissions are exceedingly
difficult to quantify. Emissions from natural surfaces
(soils and water) may also originate from previously
deposited anthropogenic mercury as well as from
natural sources. The variability in time and with
geographical location is also considerable. Most
estimates suggest that the natural emissions are of
the same order of magnitude as the anthropogenic
emissions.

Speciation

A key parameter for the understanding of the atmos-
pheric cycling of mercury is the speciation. The main
form of atmospheric mercury is elemental vapor
(Hg0), making up at least 95% of the total concentra-
tion as interpreted from ground-based measurements.
The remaining fraction consists of trace levels of
gaseous divalent mercury compounds such as the
chloride (HgCl2) and mercury associated with partic-
ulatematter (Hg(p)).WhileHg0 is relatively stable and
can be transported over hemispheric or even global
scales, HgCl2 and Hg(p) are more readily deposited
and can be regarded as local or regional pollutants (i.e.
deposited within 10–1000km). Organomercury spe-
cies such as monomethylmercury (CH3HgX, X5Cl,
OH) are present in the atmosphere at a few picograms
per cubic meter. The detection of permethylated
(CH3)2Hg in ambient air is normally restricted to
biologically active marine regions of upwelling deep
water.

Since the low concentrations of atmospheric mer-
cury species frequently preclude chemical or physical
identification, operational measurement techniques
are often used. Measurement data are typically pre-
sented as total gaseous mercury (TGM), reactive

Gas phase chemistry

Hg0 OH, O3, Cl
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Aqueous phase chemistry
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Figure 1 Schematic representation of the main atmospheric processes involving mercury.
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gaseous mercury (RGM), or total particulate mercury
(TPM). These species are defined on the basis of the
specific sampling or analytical procedures as follows.

� Total gaseous mercury (TGM) comprises all gase-
ous mercury species collected by, for example, a
gold amalgam sampling device. It consists mainly of
Hg0 and traces of divalent gaseous species such as
HgCl2.

� Reactive gaseous mercury (RGM) comprises gase-
ous mercury species collected by a specific sampling
device such as KCl-coated denuder ormist chamber.
It consists of water-soluble gaseous divalent species
such as HgCl2.

� Total particulate mercury (TPM) comprises mer-
cury collected by a filter device, usually quartz fiber
or fluorocarbon.

The most common analytical methods are cold vapor
atomic fluorescence spectrometers (CVAFS) and cold
vapor atomic absorption spectrometers (CVAAS). In
both cases, mercury in a sample is transformed into
Hg0 vapor and released (either thermally or by purging
with an inert gas) into a measurement cell. CVAFS is a
significantlymore sensitive technique that CVAAS but
it requires detection in argon or helium, whereas
CVAAS detection can be made in air.

Transformations

A number of transformation processes of atmospheric
mercury have been identified experimentally over the
last 10 years. These experimental studies have dem-

onstrated the ability of closed-shell molecules (e.g.,
O3, Cl2) and radicals (e.g., OH, Cl, Br) to oxidize
elemental mercury in the gaseous and aqueous phases.
A general conclusion is that the gas-phase reactions are
generally slow, while those occurring in the aqueous
phase may approach the diffusion-controlled limit.
Despite this, the overall atmospheric oxidation rate is
relatively slow because of the low solubility of Hg0 in

Table 1 Chemical reactions and rate constants. The use of bold type indicates the reactionsmost relevant to the atmospheric cycling of

mercury

Reaction Rate constant (lmol�1s� 1 at

ambient temperature if

not stated otherwise)

Medium: gaseous (g) or

aqueous (aq)

Hg01O3-HgO1O2 18712 g

Hg01OH1M-HgOH1M (5.272.7)� 107 g

Hg01Cl1M-HgCl1M 9.0� 109 at 120–1701C g

Hg01Br1M-HgBr1M 1.6� 108 at 120–1701C g

Hg01BrO-products Z2.7� 107 g

Hg01H2O2-products r480 g

Hg01Cl2-products r24000 g

Hg01NO3-HgO1NO2 r2.4� 106 g

(CH3)2Hg1OH-CH3HgOH1CH3 (1.270.1)� 1010 g

(CH3)2Hg1Cl-CH3HgCl1CH3 (1.770.2)� 1011 g

(CH3)2Hg1NO3-HgO12 CH31NO2 (4.571.6)� 107 g

Hg01OH-HgOH (2.470.4)� 109 aq

HgX1O2-HgX11O�
2 (X5OH, Cl etc.) B109 aq

HgSO31H2O-Hg01HSO�
4 1H1 0.6 s� 1 aq

CH3HgClþ hm ! CH3 þ HgCl B1�10� 6 s�1 in summer and at 601 N aq

Hg01O3-HgO1O2 (4.772.2)� 107 aq

Hg01HClO/ClO�-products B2�106 aq
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water. Moreover, a reversible redox balance is present
in the aqueous phase involving reduction of divalent
mercury by S(IV) complexes and possibly HO2 radi-
cals, further lowering the overall oxidation rate.
Monovalentmercury compounds are transient species
formed in the reactions of mercury. Being a radical,
monomericmonovalentmercury in the aqueous phase
is very susceptible to oxidation by molecular oxygen.
Hg(II) complexes that are formed undergo very rapid
equilibration with the ligands present.

In polar atmospheres, Hg0 can exhibit a very
different behavior. The specific photochemistry oc-
curring during polar sunrise increases the oxidizing
capacity to such an extent that the atmospheric
boundary layer can be almost completely depleted of
Hg0. The Hg0 depletion occurs simultaneously with
that of surface ozone, which is strongly affected by
autocatalytic release of bromine to the gas-phase. The
strong temporal correlation between Hg0 and O3

depletion suggest linked chemistry, possibly involving
the same families of chemical species. Strongly oxi-
dizing bromine monoxide is also abundant above the
boundary layer, in the free troposphere, where it may
influence the speciation of mercury.

The atmospheric fate of (CH3)2Hg is controlled by
rapid chemical degradation to products that are
mainly removed via dry and wet deposition. The
major reaction products consist of CH3HgX deriva-
tives, while a complete cleavage of both Hg–C bonds
appears to occurwhen the oxidizing agent can transfer
oxygen atoms.

To evaluate the importance of different oxidiz-
ing reactions, the chemical lifetime of Hg0 ð¼ k�1

½oxidant��1Þ can be calculated using the rate constants
presented in Table 1 and the relevant concentration
ranges inwhich the oxidants are present. The resulting
lifetimes are presented in Figure 2.

Air–Surface Exchange

Interactions with water, vegetation, and soil surfaces
are an important characteristic of the atmospheric
cycling of mercury. Significant emissions (or reemis-
sions of previously deposited mercury) occur from
natural waters. In principle, oxidized mercury depos-
ited via wet or dry processes can be reduced in surface
waters and reemitted to the atmosphere.Mercury also
interacts with vegetation via dry deposition and
reemissions.

Wet Deposition

While dry deposition of gaseous divalent mercury and
particulate phase mercury can contribute significantly
to the overall deposition flux, the main removal
process of atmospheric mercury is wet deposition.
Gaseous divalent or particulate mercury is either
incorporated directly into clouds or washed out by
precipitation.

Occurrence

Mercury is a natural component of the atmosphere.
Anthropogenic activities have increased the atmos-
pheric concentrations anddepositionfluxes by a factor
of 2–5. Typical concentrations of atmospheric mer-
cury species are presented in Table 2.

See also

Air–Sea Interaction: Gas Exchange. Deposition.
Land–Atmosphere Interactions: Trace Gas Exchange.
Tropospheric Chemistry and Composition: Aerosols/
Particles; Aliphatic Hydrocarbons; Ammonia and Ammo-
nium; Aromatic Hydrocarbons; Biogenic Hydrocarbons
(inc. isoprene); Carbon Monoxide; H2; Hydroxyl Radical;

Table 2 Typical concentrations of mercury species in the planetary boundary layer

Species Concentration range Location

Hg0 0.5–1.2 ngm� 3 Atlantic air, Southern Hemisphere

1.1–1.8 ngm� 3 Atlantic air, Continental background, Northern

Hemisphere

1.5–15ngm�3 Continental air, urbanized, industrial

RGM �30pgm� 3(very variable) Background air, marine and continental, higher near

sources

TPM 0.1–5 pgm� 3 Background air

5 to450pgm�3 Continental background, higher near sources.

CH3HgX 0.1–5 pgm� 3 Background air

(CH3)2Hg o5pgm� 3 Background air

�30pgm� 3(very variable and

normallyo5pgm� 3)

Marine polar air

Hg(II) in precipitation 1–20ng l�1

RGM, reactive gaseous mercury; TPM, total particulate mercury.
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Introduction

The term ‘oxidizing capacity’ is widely used, but
loosely defined. Its attraction is that it conveys in a
succinct manner two major features of atmospheric
chemistry: namely, that the atmosphere actively oxi-
dizes gaseous trace constituents and pollutants, and
thereby initiates their removal from the atmosphere;
and also, that this capacity is finite. The first feature is
not unexpected; after all molecular oxygen, O2, is a
major constituent of the Earth’s atmosphere. The
second is somewhat surprising – considering thatO2 is
present at about 21%, whereas the most abundant
oxidizable trace gases are present at the parts per
million (ppm) level. The explanation is, of course, that
O2 does not react directly with those molecules.
Tropospheric oxidation is rather initiated by a number
of oxidants, above all by the hydroxyl radical,OH, but
also by ozone, O3, the nitrate radical, NO3, and to a
lesser extent by chlorine (Cl) and bromine (Br) atoms.
Ground state atomic oxygen, O(3P), plays only a very
minor role. In the liquid phase, for example, cloud
droplets, hydrogen peroxide also acts as oxidant. All
these molecules and radicals are generated within the
troposphere, and the rates of the respective generation
processes limit their supply and thus the oxidizing
capacity of the troposphere.

In the following we briefly review the factors that
control the tropospheric concentrations of the major
oxidants, OH, O3, and NO3. We present examples of
their tropospheric distributions, and indicate how
these may have changed under the impact of ant-
hropogenic emissions. From the superposition of the
various loss processes we derive the atmospheric

lifetimes for the most important tropospheric
trace gases. Finally, based on all this information we
attempt to define a measure of the tropospheric
oxidizing capacity through an approximate but simple
expression.

The Tropospheric Chemistry
of OH and O3

The tropospheric chemistries of OH and O3 are very
closely interlinked. In fact, the primary production of
OH is based on the photolysis of O3. At wavelengths
below 340 nm this photolysis yields electronically
excited oxygen atoms, O(1D) (eqn [I]).

O3 þ hn ! Oð1DÞ þO2 l� 340 nm ½I�
Most of the O(1D) atoms produced in reaction [I] are
quenched to ground state atomic oxygen, O(3P), in
collisions with atmospheric nitrogen and oxygen
molecules (eqns [II] and [III]), but a fraction of them
collide with water vapor molecules to form the very
reactive hydroxyl radical, OH (eqn [IV]).

Oð1DÞ þN2 ! Oð3PÞ þN2 ½II�

Oð1DÞ þO2 ! Oð3PÞ þO2 ½III�

Oð1DÞ þH2O ! OHþOH ½IV�
H2O is ubiquitous in the troposphere. For instance,

in surface air at mid-latitudes, H2O is present at a
mixing ratio of about 1%. There about 10% of the
O(1D) generate OH, because reaction [IV] has a rate
constant approximately a factor of 10 higher than the
quenching reactions [II] and [III].

The conversion of O3 to OH via the reactions [I]
and [IV] at the same time forms the major sink
of tropospheric O3, whereas the O(3P) formed by
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reactions [II] and [III] returns to O3 by recombination
with O2 (eqn [V]).

Oð3PÞ þO2 þM ! O3 þM

ðM ¼ N2; O2Þ ½V�

The same holds for the O(3P) formed directly in the
photolysis of O3 at wavelengths longer than 320 nm
(eqn [VI]).

O3 þ hn ! Oð3PÞ þO2 l > 320 nm ½VI�
The generation of O(3P) mainly by photolysis (eqn
[VI]) but also by reactions [II] and [III] and others is
balanced by the loss by recombination which during
daytime results in a steady-state concentration of a few
thousand O(3P) per cm3. Given the relatively low
reactivity of O(3P), this concentration is too small
to be of significance for the oxidation of trace gases
in the troposphere. The fact that the O atoms
generated in reaction [VI] interact rapidly with one
of the major constituents of air limits their possible
importance.

Hydroxyl radical, on the other hand, does not react
with any of the major constituents of air. Rather, it has
the ability to initiate chain reactions in an O2-
containing atmosphere. When reacting with trace
gasmolecules, OH is not consumed, but is regenerated
in catalytic cycles. In this way, relatively large OH
concentrations, of the order of 107 cm� 3, are main-
tained in the sunlit troposphere despite the high
reactivity of OH toward most pollutants and other
trace gases. These two properties, high reactivity and
relatively high concentrations, make OH the most
important oxidizing agent in the troposphere.

Reaction of OH with Molecules

The simplest example of such a reaction is given by the
atmospheric oxidation of carbon monoxide. The
reaction of COwith OH immediately forms the stable
end-product CO2 (eqn [VII]).

COþOH ! CO2 þH ½VII�
The reaction also forms a hydrogen atom, which is very
reactive. The hydrogen atom rapidly combines with O2

to form a hydroperoxy radical, HO2 (eqn [VIII]).

HþO2 þM ! HO2 þM ½VIII�
The addition of a hydrogen atom to O2 weakens the
bond between the oxygen atoms, and HO2 reacts
much more readily than O2. In particular, HO2

oxidizes nitric oxide, NO (eqn [IX]).

NOþHO2 ! NO2 þOH ½IX�

In the planetary boundary layer over the industrialized
and highly populated continents, where daytime
concentrations of NO exceed 0.1 ppb, reaction [IX]
is by far the fastest HO2 reaction. Most important for
our present argument is the fact that the OH radical
consumed in reaction [VII] is regenerated in reaction
[IX]. This is generally true: virtually all reactions of
OHwithmolecular species lead to chain reactions that
recycle OH. Reaction [IX] also highlights one of the
roles of the nitrogen oxides for the OH budget. In the
form of NO they quickly return the less reactive HO2

back to the highly reactiveOH, thus increasing theOH
concentration.

The nitrogen dioxide molecule, NO2, generated in
reaction [IX] photolyzes readily in the near-UV region
and therefore contributes to tropospheric photochem-
istry (eqn [X]).

NO2 þ hn ! NOþOð3PÞ ½X�
In the sunlit atmosphere, the lifetime of NO2 against
photolysis is a few minutes. The resulting O atom
immediately combines with O2 to form O3 (reaction
[V]). This NO-mediated process consisting of reac-
tions [IX], [X], and [V], in which an O atom from a
peroxy radical is passed along to O3, is the major
ozone formation mechanism in the troposphere.
It illustrates the fact that in an NO-containing
atmosphere trace gas removal is invariably linked
with the production of O3 or other photooxidants.
Supplemented by reactions [X] and [V], the hydroxyl
radical reactions [VII] to [IX] combine to the net
reaction shown in eqn [XI].

COþ 2O2 þ hn ! CO2 þO3 ½XI�
It does not consume OH, HO2, NO, and NO2, hence
the cycle consisting of the reactions [VII] to [X] and [V]
can be completed repeatedly before that chain reaction
is interrupted by termination reactions. By this and
other chain reactions OH andHO2 are interconverted
within a matter of seconds. Therefore, both are often
lumped together as HOx.

The oxidation of more complex molecules, such as
hydrocarbons, leads to other peroxyradicals, RO2,
which also convert NO to NO2 and augment the
generation of O3. In addition, intermediates, such as
formaldehyde (HCHO), are formed,whose photolysis
leads to formation of HOx and thus introduces a
degree of autocatalysis.

Parallel to reaction [IX], HO2 reacts directly with
O3 to return OH (eqn [XII]).

HO2 þO3 ! OHþ 2O2 ½XII�
Thus even without NO there is a certain measure of
recycling. But in this case the net result of the reaction
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chain, [VII], [VIII], [XII], is a destruction of O3

(eqn [XIII]).

COþO3 ! CO2 þO2 ½XIII�
Together with reaction [XIV], reaction [XII] forms the
second important loss mechanisms of tropospheric
O3, again closely tied to the HOx chemistry.

OHþO3 ! HO2 þO2 ½XIV�

Destruction of HOx

To produce a net loss of HOx and terminate the
reaction chains, HOx radicals have to react with other
radicals. Reactions of that kind include eqs [XV] and
[XVI], which are responsible for HOx loss in clean air.

OHþHO2 ! H2OþO2 ½XV�

HO2 þHO2 ! H2O2 þO2 ½XVI�
The addition of OH to NO2, forming a nitric acid

molecule, HNO3 (eqn [XVII]), is the dominant HOx

loss reaction in the polluted atmosphere.

OHþNO2 þM ! HNO3 þM ½XVII�
At the same time, reaction [XVII] provides the

major loss mechanism for NOx and illustrates the
tendency of atmospheric oxidation to produce acidic
end-products.

The OH Balance Equation

The various production and destruction reactions
of OH can be combined in a local OH budget equa-
tion of the type shown as eqn [1], where POH and
DOH stand for the local production and destruction
terms of OH.

d½OH�
dt

¼ POH �DOH � 0 ½1�

In the case of a very short-lived species like OH,
contributions from transport, i.e., the flux divergence,
div jOH, is small compared toPOH andDOH, and canbe
neglected. The same holds for the temporal change,
d[OH]/dt.

POH consists of two, systematically different, terms:
the primary production of OH through the photolysis
of precursors such as O3 or H2O2 ðpOHÞ and the OH
produced from recycling HO2 ðPOHÞ.

By far the largest contribution to pOH comes from
the photolysis of O3, which can be derived from
reactions [I] to [IV] to give eqn [2].

pOH ¼ 2½O3� . ½H2O� . J1 . k4
k2½N2� þ k3½O2� þ k4½H2O� þ 	 	 	 ½2�

J1 is the photolysis frequency of reaction [I], and the ki
refer to the rate constants of reaction [II], to [IV].
Smaller contributions, such as that from the photolysis
of H2O2 are indicated by the ellipsis ‘. . .’.

POH is determined by reactions [IX] and [XII] as
eqn [3].

POH ¼ ½HO2� . ðk9½NO� þ k12½O3�Þ ½3�
DOH, the destruction of OH, is given by eqn [4].

DOH ¼½OH� . ðk7½CO� þ k14½O3� þ 	 	 	
þ k17½NO2� þ k15½HO2� þ 	 	 	Þ

¼½OH� . t�1
OH

½4�

A complete chemical mechanism would contain
contributions to the production and destruction of
OH other than those listed above. These are indicated
by the dotted ellipses ‘y’. These additional terms
would, however, fall in the same categories distin-
guished here. The first line in eqn [4] contains the
reactions of OH with molecules, i.e., those that
eventually generate HO2; the second line contains
the reactions of OH with radicals that lead to a net
HOx loss. The whole term in parentheses in eqn [4]
represents the pseudo-first-order reaction frequency or
inverse lifetime, t�1

OH, of an OH radical.
We now define the recycling ratio r ¼ POH=pOH.

This is the number of HO2 radicals converted to OH
divided by the number of OH generated directly. We
note that the precursors for direct OH production,
mainly O3 but also H2O2, are also produced by OH
chemistry, although not necessarily at the same loca-
tion, and, thus, contain an element of recycling.
Because of their long lifetime their recycling is slow
and incomplete and their local concentration is largely
determined by transport. We further note that POH

also includes a slow component, namely HO2 derived
from aldehyde photolysis, besides the fast recycling of
HO2 generated immediately after the OH attack.
Nonetheless, for most of the troposphere, r also
reasonably approximates the chain length, that is, the
number of times anOH is recycled viaHO2 before it is
removed by a radical–radical reaction. Introducing
tOH and r, eqn [1] takes the simple form of eqn [5a] or
eqn [5b].

pOHð1þ rÞ � ½OH�
tOH

¼ 0 ½5a�

½OH� ¼ pOH . tOHð1þ rÞ ½5b�
Equation [5b] demonstrates nicely that the ability of
OH for chain reaction and slow recycling enhances its
concentration by a factor ð1þ rÞ over that of a non-
chain-reacting radical, whose steady-state concentra-
tion would be given merely by the product of its

TROPOSPHERIC CHEMISTRY AND COMPOSITION / Oxidizing Capacity 2417



production and lifetime, P . t. Tropospheric values for
r vary between 0.3 and 10 depending on NOx in a
manner similar to that of OH shown in Figure 1. We
note that the factors r and tOH still depend on theHOx

concentration. Thus, eqn [5b] by itself is not sufficient
for calculating the OH concentration. It helps, how-
ever, to categorize the action of the various reactions
on OH. The nitrogen oxides, NOx ¼ NOþNO2, for
example, act onOH in two different ways. In the form
of NO they accelerate the recycling from HO2 to OH
(reaction [IX]; cf. eqn [3]) and thus enhance the
concentration ofOH; in the formofNO2 they enhance
the net loss of OH via reaction [XVII], and thus
decrease tOH and therefore the concentration of OH
(cf. eqn [4]). The opposing actions of the twoprocesses
lead to a highly nonlinear dependence of the OH
concentration on NOx (see Figure 1). At low NOx

where recycling dominates, the addition of NOx leads
to an increase in OH concentration and thus to an
increase in photochemical activity; at high NOx,
reaction [XVII] eventually becomes the dominant
loss path of OH and further addition of NOx reduces
the OH concentration. The position of the maximum
with respect to NOx depends to some extent on the
local mix of reactive trace gases. Except in polluted
areas, however, tropospheric chemistry operates in
NOx regimes defined by the left flank of the OH curve
in Figure 1; that is, an increase in global NOx

concentrations will lead to an increase in global OH.
The dependence of OHon other parameters is more

monotonic, though still not linear. For theNOx regime
of the global troposphere, an increase in CO or other
oxidizable molecules will lead to a decrease in OH (cf.
reaction [VII], eqn [4]). But a change in H2O will lead
to a change of equal sign in OH (cf. eqn [2]). Solar
radiation acts though several channels: through pOH

via the photolysis of O3, but also through r and tOH

because photolysis of NO2 shifts the [NO]/[NO2]
ratio. These factors all conspire to give a nearly linear
relationship between tropospheric OH and solar UV
radiation.

Figure 1 also shows the dependence on NOx of
the net formation rate of O3 given by d½O3�=
dt ¼ PO3

�DO3
, where the local O3 production, PO3

,
ismaintained by reaction cycles such as that consisting of
[VII] to [X] and [V]. TheO3 destruction,DO3

, is given by
reactions such as [XII], [XIV], or [I] combinedwith [IV].

In the clean environment considered in Figure 1, the
net O3 production rate is relatively small; even at the
maximum it amounts to no more than 2.3 ppb h� l.
The profile of the net O3 formation rate is similar to
that of the OH concentration, i.e., to the photochem-
ical activity. At low NOx concentrations, however, it
begins to deviate significantly, because there the
O3-destroying reactions, such as reaction [I] combined
with reaction [IV], remain active, whereas the
O3-producing reactions, such as the sequence [VII]
to [X], decrease with decreasing NOx. Eventually,
below a NOx concentration of about 0.07 ppb, the
photochemistry leads to a net destruction of O3.

Chemistry of NO3

The nitrate radical, NO3, is formed primarily by the
relatively slow reaction [XVIII].

NO2 þO3 ! NO3 þO2 ½XVIII�
However, in daylightNO3 is photolyzedwithin tens of
seconds via reaction [XIXa] and [XIXb].

NO3 þ hn ! NO2 þOð3PÞ ½XIXa�
! NOþO2 ½XIXb�

In addition, NO3 reacts rapidly with NO (eqn [XX])
that is always present during daytime owing to
photolysis of NO2 (reaction [X]), such that during
daytime NO3 remains at very low concentrations.

NO3 þNO ! NO2 þNO2 ½XX�
During nighttime, however, NO3 can build up to

significant concentrations because the remaining loss
reactions are much slower. These are (1) the hetero-
geneous uptake of NO3 bymoist aerosol surfaces, fog,
or cloud droplets and (2) the heterogeneous uptake of
N2O5, which is formed from NO3 combination with
NO2 (eqn [XXI]).

NO3 þNO2 ÐN2O5 ½XXI�
This reaction is important especially at low tempera-
tures since the thermal decompositionofN2O5 toNO2
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and NO3 is strongly temperature-dependent. N2O5

reacts with condensed water to form HNO3. It thus
reacts rapidly upon collision with wet surfaces such as
cloud droplets or aerosol particles at relative humidi-
ties above 60%. In nightswith high relative humidities
this reaction path together with the direct uptake of
NO3 provides an efficient loss of NOx.

Finally, NO3 reacts with organic molecules in a
manner similar to OH, but for most molecules much
more slowly than the corresponding reactions with
OH. Nevertheless, in polluted regions it can provide a
significant loss for organic molecules.

Global distributions of OH, O3, and NO3

The tropospheric chemistry outlined above maintains
global distributions of OH, O3, and NO3 that vary

with latitude, longitude, daytime, and season. For
reference, Figure 2 presents the mean zonal distribu-
tions of OH, O3 and NO3 for January and July. These
are based on 3D chemical transport models, since
measurements are too sparse to allow a representative
and consistent reconstruction of the average concen-
tration fields. Nevertheless, the concentration fields
shown are expected to closely approach reality. ForO3

the fewmeasured seasonal variations, aswell as height
profiles, show good agreement with thosemodeled for
the same sites. For OH the globally averaged concen-
tration agrees well with the value of 106 cm� 3 derived
empirically from the budget of methyl chloroform,
CH3CCl3.

The main oxidant, OH, shows a strong latitudinal
variation at all altitudes,with a broadmaximum in the
tropics centered at the latitude of maximum solar
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radiation. It also varies with altitude, with a broad
maximum around 4 km at all latitudes. In addition,
OH, as well as the other oxidants, O3 and NO3,
exhibits higher concentrations in the Northern Hemi-
sphere whose continents provide most of the global
emissions, whether natural or man-made. For the
same reason the longitude by latitude presentation
(Figure 3) also indicates higher concentrations of OH
over the continents. It should be noted, however, that
in contrast to most model results the OH distribution
derived empirically from the global distribution of
methyl chloroform indicates a higher OH concentra-
tion in the Southern Hemisphere.

The chemistry outlined above also predicts that the
increase of the anthropogenic emissions of NOx, CO,
and CH4 that accompanied the industrialization and
population growth of the last century must have
caused significant changes in the concentrations of the
tropospheric oxidants. There is indeed experimental
evidence, mainly from historical records over Europe,

that the concentration of O3 has increased by about a
factor of 2 over that period. Figure 4 presents the
model calculated change in the zonally and annually
averaged distribution of O3 and OH from preindus-
trial to present time. For O3 the models predict a
general increase of 63%, which is, however, lower in
the Southern Hemisphere (150% in the case present-
ed) than in theNorthernHemisphere (180%). For the
model calculated, OH, the increase is limited to the
lower troposphere of the tropics and of the Northern
Hemisphere; everywhere else there is a decrease. On
average the global mean OH concentration is predict-
ed to have decreased by about 9% over the last
century. Note, however, that the global distribution of
OH, as well as its trend, strongly depends on the
assumed spatial and temporal distribution of the NOx

emissions. In fact, a small increase of global OH over
the last 20 years of 0.5% y� 1 has been derived
empirically from the recent record of the CH3CCl3
budget.
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The difference between the global change for
OH and O3 is not unexpected. For O3 the increased
emissions of CO and NOx reinforce each other, as
more CO leads to higher formation of HO2, which in
turn is more efficiently converted to O3 by the
enhanced NO. For OH they counteract each other –
increased NOx induces a larger, increased CO a lower
OH concentration. For NO3 one would also expect a
global increase in the concentration field since prein-
dustrial times, since both the NO2 and O3 concentra-
tions have increased globally. However, no hindcasts
have been published for NO3.

Obviously, as long as the emissions of NOx, CO,
and CH4 continue to grow, further changes in the
global distributions of OH, O3, and NO3 have to be
expected.

The Global Loss Rate

The removal of a given trace gas from the troposphere
is usually generated by several different processes. In
addition to the tropospheric oxidation by OH, O3,
NO3, and other radicals, direct photolysis, dry dep-
osition at the Earth’s surface, and export to the
stratosphere may play a role. For a gas Xi the global
tropospheric loss rate, Li, is given by the sum of all the
individual loss rates integrated over the volume of the
troposphere and averaged over a full year. Corre-
spondingly, the global tropospheric lifetime of a trace
gas, ti, is defined as its tropospheric burden, Mi,
divided by its global tropospheric loss rate. The
contribution of the major oxidants to the global loss
rate ofXi is given by eqn [6],where the square brackets
denote the local concentrations in units of cm� 3, theki
are the respective rate constants, which generally
depend on temperature and thus also on location and
season, v stands for tropospheric volume, t for time,

and a ¼ 1 year. Examples of the rate constants are
given in Table 1 for a few selected organic trace
molecules. Clearly, the rate constants vary over many
orders of magnitude, reactions with OH having the
highest and those with O3 the lowest rate constants.
Note also that the ratios kOH : kO3

: kNO3
vary sub-

stantially between the various trace gases. Thus the
relative contributions of the global OH, O3, and NO3

fields to the global oxidation rate vary greatly with the
trace gas considered.

Li ¼ 1

a

Z
v;t

ðk
i;OH . ½OH� þ ki;O3

½O3�

þ ki;NO3
. ½NO3�Þ . ½Xi� dv . dt

¼ Mit�1
i ½6�

Generally, however, tropospheric oxidation is dom-
inated by reaction with OH. This is emphasized by
Table 2, which lists the trace gases with the highest
turnover in the atmosphere.Themost important three,
namely CO, CH4, and H2, are not attacked by O3 or
NO3. In fact, significant direct oxidation by O3 is
limited to the terpenes and NOx; and that by NO3 to
the terpenes and dimethyl sulfide. In terms of global
tropospheric removal, direct attack of O3 and of NO3

adds up to loss rate of 1.85Tmol y�1, i.e. about 1%of
the total loss rate of 180Tmol y� 1 given by the sum
over the individual trace gas losses in Table 2. This
does not preclude that oxidation by NO3 and O3

becomes important on a local scale, or for certain
molecules even on a global scale, but its impact on the
total turnover of oxidizable molecules is small. Sim-
ilarly, the tropospheric role ofCl andBr atoms appears
small. Based on the global budgets of ethane and
tetrachloroethene, the average Cl atom concentration
in theNorthernHemisphere has been estimated to less

Table 1 Rate constants of reactions of various organic tracemoleculeswith OH,O3, andNO3. The rate constants are given for 298K in

cm3molecule� 1 s� 1 (Atkinson1997). The respective lifetimesare calculated on the basis of following concentrations:OH, 1�106 cm�3;

O3, 30 ppbv; NO3, 1 pptv

Compound Rate constants (at 298K) Lifetimes

kOH kO3
kNO3

tOH tO3
1

tNO3

n-Butane 2.4� 10� 12 o10� 22 4.6�10� 17 4.8 days F 28 years

Ethene 8.5� 10� 12 1.6�10�18 2.1�10� 16 33 hours 9.6 days 6 years

Propene 2.6� 10� 11 1.0�10�17 9.5�10� 15 11 hours 37 hours 49 days

trans-2-Butene 6.4� 10� 11 1.9�10�16 3.9�10� 13 4 hours 1.9 hours 28 hours

Isoprene 10.1� 10� 11 1.3�10�17 6.8�10� 13 2.8 hours 28 hours 16 hours

a-Pinene 5.4� 10� 11 8.7�10�17 6.2�10� 12 5.1 hours 4.3 hours 1.8 hours

Formaldehyde 1.0� 10� 11 F 3.2�10� 16 28 hours F 4 years

CH3CHO 1.5� 10� 11 F 2.8�10� 15 18 hours F 170 days

(CH3)2S 5.0� 10� 12 o10� 18 1.1�10� 12 56 hours 415 days 10 hours
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than 1000 cm� 3 and in the Southern Hemisphere less
than 2000 cm� 3. This is three orders of magnitude
smaller than the globally averaged OH concentra-
tions. This difference is so large that it cannot be
compensated by the generally higher rate constants of
hydrocarbons with Cl atoms. Finally, the role ofH2O2

is pretty much limited to the oxidation of SO2 in the
liquid phase (Table 2) and its overall impact is on the
order of 1% of the total loss rate of 180 Tmol y� 1.

As a consequence, the tropospheric oxidizing ca-
pacity is generally viewed as synonymouswith theOH
chemistry in the troposphere. Moreover, at least
implicitly, the mean global OH abundance is used as
a quantitative measure for the oxidizing capacity.
Note that according to this measure the oxidizing
capacity is predicted not to have changed much over
the last 100 years. At first glance this choice appears
plausible, because OH determines the loss rates of
many trace gases (see Table 2), such that the knowl-
edge of global OH allows a straightforward estimate
of the mean global lifetimes of the individual trace
gases. However, taken by itself, the OH concentration
says nothing about the rates of the photochemical
system and thus nothing about the absolute strength of
theoxidizingcapacity.A regional example illustrates the
point: The OH concentrations in the lower and upper
troposphere are about equal (Figure 2). Nevertheless,
the loss rate of CH4 in the upper troposphere is more
than a factor of 10 lower than in the lower troposphere,
because of the lower temperature and lower CH4

concentration of the former. In addition, this measure
provides little immediate insight into the parameters
controlling the oxidizing capacity of the troposphere.

Another measure for the oxidizing capacity is
proposed that is felt to be more appropriate for
reasons given below. This consists of the total annual
oxidative loss of trace gases in the troposphere,Lt (eqn
[7]), with Li defined by eqn [6].

Lt ¼
X
i

Li ½7�

Restricting, as above, the losses considered to those
facilitated by OH, the integrand for

P
i Li becomes

identical toDOH (eqn [4]), the local loss rate ofOH,with
one exception: the term k15[HO2][OH] does not appear
amongtheLi.This term,however, contributesonlyabout
1% to the sum definingDOH, so that this difference can
be safely neglected.Thusweobtain eqn [8],whereLOH is
the annual mean global loss rate of OH.

Lt ffi 1

a

Z
v;t

DOH dv dt ¼ LOH ½8�

Using eqn [5b] we can rewrite eqn [8] as eqn [9].

Lt ffi LOH ¼ 1

a

Z
v;t

pOHð1þ rÞ dv dt

¼ ð1þ �rrÞ 1
a

Z
pOH dv dt

¼ ð1þ �rrÞ pOH;g ½9�
The total oxidative loss rate of trace gases is given by

the total loss rate of OH, which in turn is identical to
the annual global primary production rate of OH,
pOH;g, multiplied by an appropriately averaged feed-
back factor ð1þ �rrÞ. In other words, this measure for

Table2 Global turnover of themajor tropospheric tracegases and attribution to themajor oxidants (adaptedand expanded fromEhhalt,

1999a)

Trace gas Global lifetime Global loss rate

(Tmol y� 1)

Removal (%)

OHa O3
b NO3

c Other

CO 1.5 months 100 85 F F 15 (soil uptake)

H2 2.3 years 36 40 F F 60 (soil uptake)

CH4 8 years 33 90 F F 10 (soil uptake; stratosphere)

Isoprene Hours 8 80 7 13 F
SO2 Days 5 30 F F 70 (heterogeneous in clouds)

NOx 0.3–5 days 3 50 40 F 10 (soil uptake)

Terpenes Hours 1 20 25 55 F
C2H6 2 months 0.7 80 F F 20 (Cl reaction)d

N2O 120 years 0.6 F F F 100 (stratosphere)

(CH3)2S Days 0.5 70e F 30e F

aUsing a mean global OH concentration of 1� 106 cm� 3.
bUsing a mean global O3 concentration of 30 ppbv.
cUsing a mean global NO3 concentration of 1 pptv.
dUpper limit using a mean global Cl concentration of 1� 103 cm� 3.
e3D model; Isaksen ISA, private communication. Owing to a strong anticorrelation induced by the oceanic emission of (CH3)2S and

continental emissionofNO2, removal byNO3 is less than that calculated from theglobalmeansa,c, whichwould assign85%of the (CH3)2S

loss to NO3.
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the oxidizing capacity is identical to the total global
supply of OH. This definition has several advantages:

1. It quantifies the total trace gas loss initiated by OH
in the troposphere.

2. It indicates directly the essential dependences of the
oxidizing capacity on its controlling parameters.
Since pOH is essentially given by the photolysis of
O3, i.e.,pOH � J1[H2O][O3] (see eqn [2]), it is clear
that pOH;g is dominated by the tropospheric fields
ofO3,H2O, and solarUVradiation.All of these are
influenced to some extent by human activities – for
example, O3 by tropospheric chemistry acting on
anthropogenic emissions, H2O by a warming
climate, and solar UV by the loss of stratospheric
O3. Clearly, r is also influenced via tropospheric
chemistry, but see point (4) below.

3. This measure also suggests that the oxidizing
capacity of the troposphere depends, via O3 and
r, on the emissions of NOx and volatile organic
compounds and thus may respond with some
resilience to the load placed on it by anthropogenic
emissions, for example, by increasing the burden of
tropospheric O3.

4. It directly indicates that the oxidizing capacity is
finite, since both, pOH;g and �rr are finite. Published
3Dmodel calculations do not spell out pOH;g and �rr,
but these can be estimated from model-derived
globalO3 loss and production terms resulting from
reactions [I] and [IV], and [IX] and [XII] to about
70 Tmol y� 1 for pOH;g and 1 for �rr for the present
troposphere. For very high loads of certain pollut-
ants, �rr can become negligibly small. Thus, if the
global emission flux of NOx were to exceed pOH;g,
the global OH abundance would be successively
titrated away by reaction [XVII] while the NOx

burden would build up until checked by other
losses. It has been pointed out that such events of
overwhelmed oxidation capacity can be observed
regionally over areas with high NOx emissions.
There, duringwintertimewhen the flux of solarUV
is low, the levels of oxidants such as O3 and H2O2

are greatly reduced in favor of a buildup of the
primary pollutants, NOx and hydrocarbons, quite
in contrast to summertime conditions. In such a
case the oxidizing capacity is limited to pOH;g.
Generally, however, emissions of NOx and oxidiz-
able molecules have increased together, causing an
increase in r.

The newmeasure,Lt, predicts a substantial increase
of the tropospheric oxidizing capacity over the past
100 years, mainly because of the increase of global O3

by about 60%, but also due to an increasing r as a
consequence of the global increase in NOx. The same

conclusion can be reached directly from eqn [8], since
the predicted global abundance of OH decreased by
only 9%, whereas the predicted concentrations of
themajormoleculesCH4 andCO increased by a factor
of 2–3, greatly enhancing the total global loss rate
of trace gases.

The actual value of Lt for the oxidizing capacity is
uncertain because the actual turnover rates of the
various tropospheric trace gas cycles on which it
depends are uncertain, notably that of NOx. An
estimate of the current oxidizing capacity can be
gained from the sum of the loss rates due to OH in
Table 2. This list is incomplete, because some primary
emissions are not listed and the oxidation of secondary
products such as HCHO is missing. Thus the sum,
which is 140T mol y�1, presents a lower limit for the
current oxidizing capacity of the troposphere.

See also

Tropospheric Chemistry and Composition: Aerosols/
Particles; Aliphatic Hydrocarbons; Aromatic Hydrocar-
bons; Biogenic Hydrocarbons (inc. isoprene); H2; PAN;
Sulfur Chemistry, Organic; VOCs Overview.
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Introduction

Peroxyacetyl nitrate {PAN; CH3C(O)OONO2}, also
known as peroxyacetic nitric anhydride, was first
identified as a component of Los Angeles smog in the
1950s. Among the large number of peroxyacyl nitrates
{PANs; RC(O)OONO2} that have been found to be
present in the ambient air, PAN is the most abundant.
Other commonly observed but much less abundant
chemicals in this series are peroxypropionyl
nitrate {PPN; C2H5C(O)OONO2}, peroxybenzoyl
nitrate {PBzN; C6H5C(O)OONO2}, peroxyacryloyl
nitrate {APAN; CH25CHC(O)OONO2}, peroxyiso-
butyryl nitrate {PiBN; (CH3)2CHC(O)OONO2},
and peroxymethacryloyl nitrate {MPAN; CH25
C(CH3)C(O)OONO2}. A unique property of PANs
is that they are not directly emitted from any known
source. They are all products of atmospheric photo-
chemical reactions involving hydrocarbons and nitro-
gen oxides ðNOx ¼ NOþNO2Þ. This makes them
excellent indicators of photochemical activity. PANs
are chemical pollutants that can cause damage to
agricultural crops and are often the reason for eye
irritation felt by many people on smoggy days. In
recent decades, it has been shown that PAN is not
merely a pollutant but also a ubiquitous chemical
present throughout the global troposphere. In remote
atmospheres it can act as a carrier and a reservoir of
NOx, which is necessary for ozone (O3) formation.
This article discusses mechanisms for the atmospheric
formation and destruction of PAN, its measurement
methods, concentrations in polluted and remote air,
role in atmospheric chemistry, andpotential biological
effects.

Chemistry and Physical Properties

At standard temperature and pressure, PAN exists as a
colorless liquid with a melting point of –48.51C and a
boiling point of 104.51C. Its vapor pressure closely
follows the equation:

lnP ðhPaÞ ¼ �4586=T ðKÞ þ 19:04

It is nearly insoluble in water (Henry’s coefficient is
3.5Matm� 1 at 221C; M5mol L� 1) but is highly
soluble in nonpolar organic solvents and hydrolyzes
rapidly in basic solution. It is explosive in pure
forms and finds no commercial application. In the
atmosphere, it is formed from the reaction of per-
oxyacetyl {CH3C(O)OO, PA} radicals with NO2.
Although PA radicals can be formed in many ways,
their most common precursors are carbonyls (such
as acetaldehyde, acetone, and biacetyl). These car-
bonyls are often secondary products of atmo-
spheric reactions involving hydrocarbons and
oxidants such as O3 and hydroxyl (OH) radicals.
They can also be emitted directly from natural
and man-made sources. Hydrocarbons in general
are oxidized by reaction with OH radicals, and
the resulting peroxy (RO2) radicals react with
NO to produce a variety of carbonyls as a product.
Below is an example of the formation of acet-
aldehyde (CH3CHO) and acetone (CH3COCH3)
from the oxidation of ethane and propane, res-
pectively.

CH3CH3 þOH ðþO2Þ ! CH3CH2O2 þH2O

CH3CH2O2 þNO ðþO2Þ
! CH3CHOþNO2 þHO2

ðCH3Þ2CH2 þOH ðþO2Þ
! CH3CHO2CH3 þH2O ð80%Þ

CH3CHO2CH3 þNO ðþO2Þ
! CH3COCH

3
þNO2 þHO2

It should be noted that each of the above reactions
involvesmultiple steps. The carbonyls thus formed are
highly reactive and break down to produce PA
radicals, which can react with ambient NO2 to form
PAN. While PAN formation primarily requires sun-
light, its synthesis is also possible at night. Not all
PA radicals produce PAN, however – some also react
with NO and HO2 in ways that ultimately
produce formaldehyde and peracetic acid, respect-
ively. Molecules such as acetone are uniquely effective
in forming PA radicals (and PAN) directly in the upper
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troposphere.

CH3CHOþOHþO2

!CH3CðOÞOOþH2O ðdaytimeÞ
CH3COCH3þ2O2 þ hn

!CH3CðOÞOOþ CH3O2 ðdaytimeÞ
CH3COCOCH3 þ 2O2 þ hn

! 2CH3CðOÞOO ðdaytimeÞ
CH3CHOþNO3 þO2

!CH3CðOÞOOþHNO3 ðnighttimeÞ
CH3CðOÞOOþNO2 $ CH3CðOÞOONO2ðPANÞ
CH3CðOÞOOþHO2

! CH3CðOÞOOHþO2 ð67%Þ
CH3CðOÞOOþNOþO2 ! CH3O2 þ CO2 þNO2

Atmospheric abundance of PAN is strongly affected
by its loss processes. The most important of these is
thermal dissociation. This loss rate is an extremely
strong function of temperature and hence varies
greatly in the atmosphere. The various rate constants
that apply to the equilibrium of PAN with NO2 are
listed below. At warm temperatures, as may be
encountered in the boundary layer, PAN dissociates
rapidly (hours) and the equilibrium is shifted towards
NO2. At colder temperatures, as may be encountered
in the upper troposphere, PAN is very stable and this
reaction is shifted greatly in favor of PAN.

CH3CðOÞOONO2 ðþMÞ
$ CH3CðOÞOOþNO2 ðþMÞ ðk1; k�1Þ

k1 ¼ k0½M�f1þ k0½M�=k1g�10:3f1þðlog k0½M�=k1Þ2g�1

k0 ¼ 4:9�10�3 expð�12 100=TÞmlmolecule�1 s�1

k1 ¼ 4:0�1016 expð�13600=TÞ s�1

k1=k�1 ¼ 1:11�1028 expð�14 000=TÞmoleculeml�1

where M¼N2 (molecule ml� 1).
PAN absorbs UV radiation in the troposphere and

its absorption cross-sections have beenmeasured from
195 nm to 345 nm wavelengths at several representa-
tive temperatures. The absorption is considerably
slower at colder temperatures. Breakdown via pho-
tolysis removes PAN with an e-fold ð1=eÞ time
(lifetime) of approximately 3 months. PAN also reacts
with OH radicals, but this rate has been found to be
extremely slow ðk � 3�10�14 mlmolecule�1 s�1Þ and

provides an ineffective removal process. Figure 1
shows the loss rates of PAN in the troposphere
calculated for these processes for 1 July and 301N
conditions and a standard atmosphere. It is clear that
thermal loss completely dominates in the lower
troposphere. Above 7 km, PAN loss is slow and is
dominated by photolysis. PAN has extremely low
solubility in water ðH ¼ 3:5Matm�1 at 221C) and
removal by washout or rainout processes is unimpor-
tant. Near the surface of the earth PAN is also lost by
dry deposition. Typical deposition velocities over soil
or grass and oceans or other water surfaces of
0.25 cm s� 1 and 0.01 cm s� 1 respectively have been
measured. PPN removal rates from all these processes
are similar to those of PAN but have been less
accurately measured.

As is evident from Figure 1, PAN in the upper
troposphere has a lifetime of many months and thus
can be transported over very long distances. Cold air
masses containing PAN can release NO2 under
warmer conditions. By removing NO2 during its
formation phases, transporting it in colder regions,
and then rereleasing it in warmer environments, PAN
provides an important mechanism for the global
transport of NOx, thereby influencing processes of
tropospheric ozone formation.

Detection and Measurement Methods

PANs are thermally unstable and are otherwise easily
destroyed in contact with surfaces. Therefore PAN
measurements must be performed with minimum
delay between sampling and analysis. PAN in the
atmosphere has been measured by a variety of tech-
niques. The first laboratory and atmospheric meas-
urements of PAN were made using Fourier transform
infrared (FTIR) spectroscopy. While extremely useful
for confirmation of PAN, these techniques are best
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used under controlled laboratory conditions andwhen
PAN concentrations are high. The most commonly
used method for the routine measurement of PAN and
its homologues has been with gas chromatography
using electron capture detector (GC-ECD). Being a
good electron absorber, PAN is sensitively detected by
the ECD. A number of GC columns can be used to
separate PAN from a complex atmospheric mixture of
chemicals. Typically, DB-210, SPB-1701, Rtx-200
fused silica capillary columns (0.25–0.5mm i.d., 5–
30m length, and 0:25mm film thickness) or packed
columns (3mm i.d., 40 cm length) with 10% Carbo-
wax 1000 on Supelcoport have been used to separate
PAN from other atmospheric constituents. A direct 1–
5ml injection of air is generally adequate to measure
PAN in urban and rural environments where PAN is
nearly always present at a mixing ratio of 40.1 ppb
(10�9 v/v; nmolesmole� 1; ppb). Figure 2 shows the
ambient detection of a variety of PANs on a highly
polluted day in Houston, Texas.

In remote atmospheres, PAN concentrations can be
extremely low and preconcentration of air samples is
often necessary. A 100ml sample of air freeze-trapped
at –1401C provides a measurement sensitivity of 1 ppt
(10�12 v/v; pmolesmole� 1 ppt) in a GC-ECD system.
In addition to PAN, a number of other important
constituents can also be simultaneously measured.
Because of their high sensitivity and easy availability,
GC-ECD systems have been used extensively for the
simultaneous detection of PANs, alkyl nitrates, and
halogen tracers (C2Cl4) in airborne and ground based
studies. Other techniques involving luminol chemilu-
minesent detection, pulsed discharge detection, and
chemical ionization mass spectrometry have also been
used on a more limited basis.

A major difficulty in the quantitative determination
of PAN has been the preparation of accurate calibra-

tion standards. This largely arises from the fact that
PAN is highly unstable and must be prepared in pure
form utilizing secondary synthesis methods. In early
years, PAN (and PPN) was synthesized by photolysis
of alkyl nitrite in oxygen:

C2H5ONOþ 2O2 þ hn

! CH3CðOÞOONO2 ðPANÞ þH2O

PANs produced by this method were quite impure,
and extensive preparative chromatography was re-
quired for purification. PAN was then analyzed by
infrared spectroscopy using known IR band strengths
typically at 793.9 cm� 1 and 1165 cm� 1. These meth-
ods were tedious, and standards could be prepared
only at very high concentrations. Other attempts
have used the reaction between Cl atoms, acetalde-
hyde, and NO2 to generate PAN standards in air in
a continuous mode.

Cl2 þ hn ! 2Cl

Clþ CH3CHOþNO2 þO2

! CH3CðOÞOONO2 ðPANÞ þHCl

The absolute concentration of PAN could be deter-
mined either from the measured loss of acetaldehyde
or from the 100% dissolution of PAN in a basic
aqueous solution (1%KOH) and analysis of the nitrite
ion. It has been suggested that Br atoms can be even
more selective than Cl atoms in PAN synthesis. Other
methods that use acetone photolysis to generate
peroxyacetyl radicals have also been successfully
tested.

More recently, it has been shown that highly pure
PAN can be synthesized in a nonvolatile liquidmatrix,
such as n-tridecane, by nitration of peracetic acid.
PANs are easily miscible in nonpolar solvents and
form a homogeneous solution. It is possible to keep a
PAN/n-tridecane liquid mixture stable for a period of
many weeks at dry ice (� 781C) temperatures. For
routine calibrations, a capillary diffusion tube (2mm
i.d.) is filled with this PAN/n-tridecane solution and
held at ice-water temperature (01C).Air flowsover this
tube at a known rate. A nylon filter is inserted in line to
remove any traces of nitric acid. The PAN in the exit
stream, typically 1–50 ppb, is measured by using a
standard chemiluminescent NOy detector. Trace
quantities of CH3ONO2, NO2 are often present in
the exiting air stream, but tests have shown that these
impurities are quite small (o5%). These ppb stand-
ards can be further diluted with a dynamic dilution
system to generate ppt level standards.

To date PANmeasurements have been possible only
in a discreet mode. Efforts are underway to measure
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PANand its homologues in a near continuousmanner.
Recently a proton transfer reaction mass spectromet-
ric (PTR-MS) technique has been successfully demon-
strated to measure PAN, PPN, and MPAN in a nearly
continuous mode (15 s) with a detection sensitivity of
� 0:1 ppb. Other possibilities for fast detection are
through the use of ion trap mass spectrometry. These
techniques will be fully developed and tested within
the next few years.

Atmospheric Concentrations

PAN and PPN have been extensively measured in
urban and rural locations around the globe. Although
PAN concentrations in excess of 200 ppb have been
reported from southern California from the 1960s,
these must be considered extremely rare occurrences.
Since 1970, reported concentrations have never ex-
ceeded 60 pbb, even under extreme polluted and
stagnant conditions. Figure 3 shows the daytime
monthlymean andmonthlymaximum concentrations
measured at Riverside in southern California. A clear
seasonal cycle is seen with highest mixing ratios in
summer and lowest in winter. Monthly mean mixing
ratios never exceeded 10 ppb.

The photochemical nature of PAN formation is also
evident in its diurnal cycle, with highest concentra-
tions in the late afternoon (Figure 4). In rural locations
PAN mixing ratios rarely exceed 5 ppb and average
values are in the vicinity of 1–3 ppb. There is no
reliable information on the long-term trends in urban
PAN, but there are indications that PAN levels have
declined over the last four decades. In large part, this is
attributable to the dramatic reductions that have been
achieved in the emissions of hydrocarbons and NOx

from automobiles.
In remote atmospheres, PAN is nearly always

present at sub-ppb levels. Its mixing ratios are gener-
ally higher in the middle and upper troposphere

compared with the surface where it has a short
lifetime. Figure 5 shows the vertical structure of PAN
at three different latitude bands. PAN concentrations
are lowest in the tropics and increase rapidly towards
higher latitudes. This is due to the greater abundance
of precursors as well as to the greater stability of PAN
at the colder high latitudes. Themaximumobserved in
the middle troposphere at midlatitudes is a direct
result of convective outflow of pollution from the
Pacific rim countries to the Pacific. Although PAN
concentrations can varywidely, it has been found to be
globally ubiquitous.

Many PAN homologues have been detected in
urban and rural environments. These are generally
present only in the vicinity of the sources of their
precursors and do not appear to play any significant
role in global atmospheric chemistry. In urban atmos-
pheres, PPN concentrations are typically 5 to 20% of
PAN (Figure 4). However, as air masses are transport-
ed over long distances this ratio continues to decline.
In rural areas the PPN/PAN ratio is 5–10%, further
declining to 0–5% in remote environments. The
decline in this ratio occurs owing to the rapid depletion
of hydrocarbon precursors necessary to form PPN and
the somewhat larger loss rate of PPN compared with
PAN.Measurements of APAN, PBzN, andMPAN are
extremely sparse and often below detection limits.
Limited data suggest that APAN and PiBN mixing
ratios are 3–5% of PAN in urban areas. Upper limit
PBzN measurements suggest that its urban mixing
ratios are in the sub-ppb range and almost never
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exceed 2 ppb. Similarly MPAN, a product of biogenic
hydrocarbon oxidation, has been measured at rela-
tively low concentrations (10–350 ppt) in forested
rural environments. Even when present at low con-
centrations, these PAN homologues can be used
as unique photochemical tracers of a variety of
anthropogenic and biogenic sources.

Biological/Toxic Effects

PANs are known to be eye irritants (lachrymators),
phytotoxins, and bacterial mutagens. Potential phyto-
toxic episodes in which visible injury to susceptible
plants (e.g., pinto beans) occurs are likely only when
PAN concentration in excess of 15 ppb is sustained for
several hours. Both the eye irritation potential and

phytotoxicity of higher PAN homologues (e.g., PPN,
PBzN) is substantially greater than that of PAN, but
their atmospheric concentrations are alsomuch lower.
A number of studies have been done on mice to assess
the toxic affects of PAN. These studies used PAN
concentrations that were often 102–103 times larger
than what is typically encountered in polluted air.
From existing data, it appears that the concentrations
of PAN observed in urban atmospheres around the
globe are too low to cause injury to human health.
Long-term studies on the health effects of exposure to
low concentrations of PAN and its homologues have
not been performed. The most serious biological
effects of PANs are of a phytotoxic nature resulting
in injury to plants and vegetation.

See also

Chemistry of the Atmosphere: Chemical Kinetics; Gas
Phase Reactions. Stratospheric Chemistry and Com-
position: Hydroxyl Radical. Tropospheric Chemistry
and Composition: Aliphatic Hydrocarbons; Biogenic
Hydrocarbons (inc. isoprene); VOCs Overview.
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Introduction

Sulfur plays an important role in both the tropospheric
and stratospheric budgets of atmospheric gases and
investigations of the atmospheric sulfur cycle have
been a subject of intense scientific interest for many
years. The reasons for the interest is the need to
parametrize the contributions of atmospheric sulfur,
which originate from both natural processes and
anthropogenic activities, to environmental problems.
Themost important of these problems is an assessment
of the magnitude of the involvement of the atmos-
pheric chemistry of the organic sulfur compounds
dimethyl sulfide (CH3SCH3; DMS) and dimethyl
sulfoxide (CH3SOCH3; DMSO) in climate regulation
or modification.

In industrialized regions such as the United States
and most of Europe, anthropogenic sulfur emissions
(mainly comprising SO2) exceed natural emissions by
about one order of magnitude. On a global scale,
biogenic emissions become important, with con-
tributions to the sulfur budget of 15–20% and
50–60% in the Northern and Southern Hemispheres,
respectively. Of the biogenic contribution, one com-
pound, namely DMS, constitutes approximately
50% of the emissions. This review is restricted to the
sources, sinks and relevant gas phase atmospheric
interactions of the main organic sulfur compounds in
the troposphere.

Organic Sulfur Compounds
in the Atmosphere

The gas phase chemistry of atmospheric sulfur in-
volves nearly a score of compounds, representing
sulfur valence states from � 2 to 16. The important
organic sulfur compounds that are released to the
atmosphere are mainly in the reduced form. The
common organic sulfur compounds are analogous to
organic oxygen compounds: RSH, thiols; RSR, sulf-
ides and RSSR, disulfides.

The names and structures of the organic sulfur
compounds known to be involved in atmospheric
sulfur chemistry are listed in Figure 1. With the
exception of hydroxymethanesulfonic acid and the
highly reactive methanesulfenic and methanesulfinic
acids all of these compounds have been detected in the
atmosphere. Themore oxidized sulfur compounds are

less volatile than the reduced forms and as a result are
partitioned to varying degrees into condensed phases.
Other important inorganic sulfur compounds in-
volved in the atmospheric sulfur cycle include hydro-
gen sulfide (H2S), carbonyl sulfide (OCS), and carbon
disulfide (CS2), sulfur dioxide (SO2) and sulfuric acid
(H2SO4). Although these compounds are not treated
specifically in this article, the reader is strongly
encouraged to consult the literature to obtain an
insight into their role in atmospheric sulfur chemistry.
The roles of sulfur dioxide and sulfuric acid in relation
to organic sulfur atmospheric chemistry will become
evident during the course of the article.

Over 20 thiols and nearly 40 sulfides/disulfides are
known to be emitted into the atmosphere. The sources
for most of these compounds are natural, but wood
pulping, paper making processes, and other industrial
processes are also sources. Among all the organic
sulfur compounds emitted into the atmosphere only
methyl mercaptan, dimethyl sulfide and dimethyl
disulfide are of significance for atmospheric sulfur
chemistry. Of these three organic sulfur compounds, it
is now firmly established that dimethyl sulfide is by far
the most important and abundant. The ranges in the
literature estimations of the emission source strengths
of the most important organic and inorganic sulfur
compounds involved in the atmospheric sulfur cycle
are listed in Table 1. The current ‘best estimate’
emission source strengths are also given.

Dimethyl sulfide (DMS) is a product of biological
processes involving marine phytoplankton. Sea water

is found to be highly supersaturated with respect to

atmospheric levels of DMS, which indicates a net flux

of this gas from the ocean to the atmosphere of the

order of 15–45Tg (S) per year. DMS is estimated to

account for approximately 50–60% of the total

natural sulfur gas released to the atmosphere. Numer-

ous measurements have been made and continue to be

performed on the atmospheric concentration of DMS.

The atmospheric concentration of DMS is highly

variable. In the marine boundary layer it varies from

o10ppt in polluted air to 50–100 ppt over oligotro-

phic waters and can be as high as 1 ppb in coastal and

upwelling waters. At sea surface level the global DMS

average is of the order of 100 ppt.
There are presently no good estimations of the

emission strengths of both methyl mercaptan and
dimethyl disulfide (DMDS). Methyl mercaptan is
probably only of importance in the vicinity of indus-
trial sources and reported mixing ratios over the
surface ocean and in tropical forests are typically
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o5 ppt. No reliable measurements exist on the
atmospheric concentrations of DMDS. Owing to its
high atmospheric reactivity, atmospheric concentra-
tions of DMDS are very low and of importance only in
the proximity of the source. Opinions are currently
divided concerning the importance of the contribution
of DMDS to the atmospheric sulfur cycle and budget.

Chemical Transformation
Mechanisms in the Atmosphere

The atmospheric chemistry of DMS and the other
organic sulfur compounds is very complex. However,

common intermediates are involved in the atmospher-
ic oxidation processes for all three common organic
sulfur compounds – CH3SSH, DMS, and DMDS.
Several reviews listed in the literature give good
detailed accounts of laboratory kinetic and product
investigations on the atmospheric reactions of
CH3SH, DMS, and DMDS.

Main Oxidants

For all the compounds it is generally accepted that
reaction with the OH radical is the most important
daytime initiator of the oxidation process. During the
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Figure 1 Structural and empirical formulas and names of the major important sulfur compounds in the atmospheric sulfur cycle.

Commonly used abbreviations are also indicated.
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night and under highly polluted conditions, reactions
with NO3 radicals will be of importance. Under
pristine background marine conditions with very low

NOx, reactions with NO3 are relatively unimportant.
Models of global sulfur chemistry have been inter-
preted as indicating that DMS sulfur chemistry is too
rapid to be accounted for entirely by known sink
reactions with OH and NO3 radicals. It has been
suggested that reactions with halogens or halogen
oxides could be a hitherto neglected sink for DMS in
the marine boundary layer. Evidence is currently
emerging that chlorine and bromine chemistry is
more important in the troposphere than had been
previously thought, although more field experiments
are needed for definite validation. Therefore, depend-
ing on the atmospheric environment, it is currently
thought that reactions with Cl atoms and BrO radicals
may also be important oxidants for DMS.Table 2 lists
the typical atmospheric concentrations of potential
oxidants for DMS, their rate coefficients with DMS,
and remarks on their potential importance based on
these parameters.

Initiating Oxidation Steps

The DMS–OH reaction is now known to proceed via
both O2-independent and O2-dependent pathways

Table1 Rangesof estimatedglobal sulfur emissions as reported

in the recent literature

Substance Total emission rate (Tg (s) y�1)

Literature

ranges

Current

best estimate

Methyl mercaptan, CH3SH
a a

Dimethyl sulfide, CH3SCH3

(DMS)

15–45 24.4575.30

Dimethyl disulfide, CH3SSCH3

(DMDS)

b b

Hydrogen sulfide, H2S 5–60 7.7271.25

Carbonyl sulfide, OCS 0.8–1.7 1.3170.25

Carbon disulfide, CS2 1.1–1.3 0.6670.19

Sulfur dioxide, SO2 100–120c 100–120

aNo good estimates. Probablyo10%of biogenic sulfur emissions.
bNo good estimates. Probably a few percent of biogenic sulfur

emissions.
cMainly of anthropogenic origin.

Table2 Possible processes for removal of dimethyl sulfide in theatmosphere alongwith their relative contributions to theoverall lifetime

(t) of DMS

Removal process k298K
(cm3 molecule�1 s�1)

Typical reactant concentration

ranges (molecule cm� 3)

tDMS
a

OH1DMS-products 6.3� 10� 12 B2� 106 0.92 days

(12 h daytime average) importantb

HO21DMS-products o10� 16 B1� 108 3.2 years

(average) unimportant

O(3P)1DMS-CH3SO1CH3 5� 10� 11 Negligible F
unimportant

O31DMS-products 1� 10� 18 7� 1011 16.5 days

(24 h average) unimportant

NO31DMS-products 1.1� 10� 12 B1� 108 2.3 hours

(concentration in remote

marine areas)

importantb

Cl1DMS-products 2� 10� 10 103–105 58–0.6 days

possibly regionally

important,

needs validation

ClO1DMS-products 9.5� 10� 15 106–108 3.3–0.33 years

unimportant

Br1DMS-products o1� 10� 13 107–108 11.6–1.2 days

probably unimportant

BrO1DMS-products 2.7� 10� 13 109–1010 8.7–0.87 hours

possibly regionally

important,

needs validationc

IO1DMS-products 1.2� 10� 14 106–107 2.6–0.26 years

unimportant

aThe lifetime tDMS is definedas1/k [reactant]where k is the rate coefficient (cm
3molecule� 1 s� 1) for the reaction of the reactantwithDMS

and [reactant] is the typical atmospheric concentration (molecule cm3) of the species.
bConcentration is very variable.
cProbablymost important in theArctic, but recent fieldmeasurements indicate a possible global importance for BrO; ongoing field/satellite

measurements should resolve this issue in the near future.
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(eqns [I], [II], [III]).

OHþ CH3SCH3 ! H2Oþ CH3SCH2

ðO2-independentÞ ½I�

OHþ CH3SCH3 ! CH3SðOHÞCH3

ðO2-dependentÞ ½II�

CH3SðOHÞCH3 þO2 ! Products ½III�
The O2-independent pathway dominates at room
temperature and involves hydrogen abstraction. The
O2-dependent pathway involves formation of an
adduct ((CH3)2S–OH) with a binding energy of
B45kJmol� 1. The fate of the adduct is reaction
with O2 in competition with decomposition back to
reactants. The adduct lifetime is strongly tempe-
rature-dependent and lowering the temperature
favors the addition over the abstraction channel.
As discussed below, dimethyl sulfoxide (DMSO) is
now known to be a major product (over 50%) of
the reaction of the adduct with O2. The mechanism
of OH reaction with methyl mercaptan (CH3SH)
(kOHð298KÞ ¼ 3:3�10�11 cm3 molecule�1 s�1) is un-
clear; however, it appears that the reaction leads to
CH3S radical formation. Although a direct hydrogen
atom abstraction pathway is operative, the observa-
tion of a negative temperature dependence supports
formation of adduct. Formation of an OH adduct
(CH3S(OH)H) that rapidly eliminates H2O can there-
fore not be excluded (eqns [IV] and [V]).

OHþ CH3SH ! H2Oþ CH3S ½IV�
OHþ CH3SH ! CH3SðOHÞH

! H2Oþ CH3S ½V�

The kinetics of the reaction of OH with DMDS
(kOHð298KÞ ¼ 2:3�10�10 cm3 molecule�1 s�1) also
shows a negative temperature dependence, which
again suggests that the mechanism involves complex
formation. Formation ofCH3SandCH3SOHhas been
observed, however, ameasured yield of 30% for CH3S
indicates that other pathways leading to CH3 and
CH3SSOH are also operative (eqns [VI] and [VII]).

OHþ CH3SSCH3 ! CH3SðOHÞSCH3

! CH3SOHþ CH3S ½VI�

OHþ CH3SSCH3 ! CH3SðOHÞSCH3

! CH3SSOHþ CH3

½VII�

The available evidence suggests that reaction of DMS
with NO3 proceeds initially by NO3 addition to the
sulfur atom followed by hydrogen intramolecular

transfer, i.e., an overall hydrogen abstraction reaction
(eqn [VIII]).

NO3 þ CH3SCH3 ! ½CH3SðNO3ÞCH3�
! HNO3 þ CH3SCH2 ½VIII�

For the reactionsofNO3withCH3SH(kNO3
ð298KÞ ¼

9:2�10�13 cm3 molecule�1 s�1) and DMDS (kNO3

ð298KÞ ¼ 7�10�13 cm3 molecule�1 s�1) a mechanism
involving initial addition of NO3 to the sulfur atom
followed by rearrangement or fragmentation of the
adduct has been inferred from the scant information
that is available. Because of the fast reaction of OH
radicals with DMDS, reaction between NO3 and
DMDS is probably of onlymarginal importance in the
atmosphere.

There is increasing evidence that reactive halogen
chemistry involvingX andXO,whereX ¼ Cl, Br, or I,
plays an important role in tropospheric chemistry in
the marine boundary layer. The role of halogen
species, especially BrO and Cl, in the oxidation of
DMS is still unclear and may be very regionally
dependent, as demonstrated in Table 2. For the
reaction of Cl with DMS, a direct hydrogen transfer
pathway leading to formation of HCl and CH3SCH2

radicals is operative along with an adduct-forming
channel. The products of the adduct-forming channel
have not yet been characterized. The reaction of Br
with DMS proceeds via reversible adduct formation
but there also appears to be an adduct decomposition
channel leading to formation of CH3SBr and CH3

radicals.

CH3SCH3 þ Br Ð CH3SðBrÞCH3

! CH3SBrþ CH3 þ other productsð?Þ ½IX�

The overall reaction rate is too slow (see Table 2) for
the process to be of any significance in the atmosphere.
The reaction of iodine atoms with DMS is negligibly
slow and also not important.

The kinetics of the reactions of ClO, BrO, and IO
with DMS have been measured and the rate coeffi-
cients take the order BrO > ClO � IO. All of the
reactions are thought to result in oxidation of DMS to
DMSO and release of the halogen atom. Based on the
available kinetic data, atmosphericmodel calculations
indicate that oxidation by BrO can be a relevant sink
of DMS, which could account during daytime for
24–38% loss of DMS. Very recent kinetic data,
indicate that the reaction of BrO with DMSO at high
pressure may be significantly faster than previously
determined, which would further enhance the impor-
tance of BrO. This remains to be validated. In
addition, the reaction of BrO with DMS can promote
O3 ! O2 conversion through the sequence of eqns [X]
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and [XI] where DMS is oxidized and no BrO is lost.

BrOþDMS ! DMSOþ Br ½X�
BrþO3 ! BrOþO2 ½XI�

Thus BrO can be an important sink of DMS in the
presence of O3, and at the time of writing field
campaigns are in progress to quantify the possible
contribution to the DMS budget.

Observed DMS Oxidation Products
and Possible Formation Pathways

Although the rate coefficients for the initiation reac-
tions of organic sulfur compounds are reasonably well
established, the reactions responsible for the observed
products and their yields are not always clear. Product
information has been obtained using absolute meth-
ods, butmuch of the information stems from studies in
so-called photochemical reactors. Many of these
product studies have employed highly variable NOx

levels, and the chemistry that occurs in these highNOx

systems canbe very different from that occurring in the
marine atmospherewhere theNOx levels are generally
very low.Consequently, there is a large variation in the
yields of the products reported in the literature and it is
still not possible to make reliable quantitative predic-
tions of the distribution of DMS oxidation products
for specific sets of atmospheric conditions.

In laboratory photoreactor studies at room
temperature, SO2, methanesulfonic acid (MSA), di-
methyl sulfoxide (DMSO), dimethyl sulfone
(DMSO2) and methylsulfonyl peroxynitrate (MSPN;
CH3SO2OONO2) have been observed as products of
both the OH and NO3 radical-initiated oxidation of
DMS. In the reaction ofNO3withDMS, unity yield of
HNO3 is also observed, formed via a hydrogen atom
abstraction reaction from one of the CH3 entities.
Formation of methanesulfinic acid (MSIA) in signifi-
cant yield has been reported very recently for
OHþDMS. Both laboratory and field observations
support that SO2 is amajor oxidation product of DMS
oxidation, and recent photoreactor studies have dem-
onstrated that it may be formed via both the addition
and abstraction channels in OH1DMS. Under NOx

conditions approaching those of the atmosphere, SO2

molar yields of 70–80% have been reported for
photoreactor experiments on OHþDMS. Similar
yields have been deduced from field measurements of
DMSand its products.Apart fromgas phase oxidation
with OH radicals to form H2SO4(g) the main fate of
SO2 is uptake in the liquid aerosol (condensed phase)
and oxidation of H2SO4ðlÞ.

As indicated earlier, results from room-temperature
laboratory end-product studies show that DMSO

is a major product of the addition pathway in
the OH1DMS reaction. The absolute molar yield
is still uncertain, but it is of the order of 50–70%
and may be higher. In the gas phase DMSO is
known to be oxidized rapidly by OH radicals
(kOHð298KÞ �1010 cm3 molecule�1 s�1). The results
from OHþDMSO product investigations are con-
tradictory. DMSO2, SO2, and MSA have been ob-
served as products in photoreactor studies; however,
there are considerable discrepancies in the yields and
secondary chemistry is thought to strongly influence
the product distribution in such studies. In a recent
time-resolved tunable diode laser spectroscopy study
on the OHþDMSO reaction, CH3 radicals were
detected in near unity yield at low pressure. This
supports a mechanism in which the main reaction
pathway is formation of CH3 radicals with methane-
sulfinic acid as coproduct. At this writing, photoreac-
tor experiments using ion chromatography to detect
MSIAhave been reported that substantiate the tunable
diode laser spectroscopy study.

The only product observed in the reaction of NO3

with DMSO is DMSO2. DMSO and DMSO2 have
been identified in field measurements in the gas/
aerosol phase and also in rain water samples. The
fate of these compounds is poorly understood with
regard to their removal by heterogeneous processes or
by deposition. There is evidence that in the condensed
phase DMSO is oxidized initially to MSIA, which is
then further oxidized to MSA.

Carbonyl sulfide (OCS) has been detected in cham-
ber product studies of the OH-initiated oxidation of
DMS under lowNOx conditions. A formation yield of
0.770.2% S was reported. The mechanism of forma-
tion is not known. Although the OCS yield is low,
because of the relatively high global DMS source
strength (15–45Tg (S) per year), the result suggests
that the oxidation of DMS could represent a substan-
tial source of atmospheric OCS, contributing
0.10–0.28Tg (OCS) per year.

In summary, although the major products of
the OH- and NO3-initiated oxidation are known,
detailed quantitative information on their distribu-
tion is not yet available, particularly with regard to
the effects of temperature and variable O3 and NOx

concentrations. More information on the fate of
DMSO is important because at high latitudes the
O2-dependent addition branch of the OHþDMS
reaction forming DMSO in high yield dominates
overall DMS reactivity. Thus with decreasing temper-
ature DMSO chemistry, both gas and liquid phase
(DMSO is highly water soluble), will increasingly
control the branching ratio for SO2, SO4

2� , and
acid formation (MSA and MSIA). Thus an exact
knowledge of the formation yield of DMSO with
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temperature is an important parameter in atmospheric
organic sulfur chemistry.

Reaction Pathways Leading
to Products

As indicated above, generation of the CH3SCH2

radical is an important pathway for the Cl-, OH-,
and NO3-initiated oxidation of DMS (eqn [XII]). In
the atmosphere the CH3SCH2 radical will add O2 to
form the peroxy radical CH3SCH2OO (eqn [XIII]).

CH3SCH3 þ Cl; OH;NO3

! CH3SCH2 þHCl;H2O; HNO3
½XII�

CH3SCH2 þO2 þM ! CH3SCH2OOþM ½XIII�
It is known that reaction with NO will produce NO2,
CH3S, and formaldehyde (eqn [XIV]).

CH3SCH2OOþNO

! NO2 þ CH3SþHCHO ½XIV�

It has been suggested that in the remote marine
boundary layer,whereNOx levels are low (typically 2–
8 ppt), the main daytime removal process for
CH3SCH2OO could be reaction with HO2 to form a
hydroperoxide (eqn [XV]).

CH3SCH2OOþHO2

! CH3SCH2OOHþO2 ½XV�

It is argued that if the removal of this hydroperoxide by
photolysis and reaction with OH (see Figure 2 for
pathways) is similar inmagnitude to that of CH3OOH
then CH3SCH2OOH may be a significant reservoir
species for sulfur in the remotemarine boundary layer.
As shown in Figure 2 similar pathways may also exist
for other oxidized forms of CH3SCH2OOH. This
present hypothesis remains to be verified either by field
observations or laboratory experiments. It is interest-
ing to note that if the surface deposition and/or
washout and rainout processes ofCH3SCH2OOHand
its oxidized forms are significant, which is probably
the case, then these processes represent a potential
short circuit for DMS atmospheric chemistry, prevent-
ing formation of the gas phase oxidized forms.

It is nowwell established that CH3S is an important
intermediate in the oxidation of DMS and also of
CH3SH. Despite the key role that the CH3S radical
plays in atmospheric sulfur chemistry, the reactions
that convert it to S(VI) end-products, H2SO4 and
CH3SO3H (MSA), are poorly understood. A weakly
bound CH3S–O2 adduct is known to exist and it is
quite probable that CH3SOx�O2 adducts (x ¼ 1, 2)

may also be important. At the time of writing, the
available laboratory data indicate that reaction of O3

with CH3S will probably be a dominant removal
pathway for this species in the atmosphere and that
NO2 could also play a role under polluted conditions.
Reactions of O3 and NO2 with CH3SOx (x ¼ 1 or 2)
may also be important. Table 3 compares the first-
order loss rates for reactions of CH3S and CH3SOx

(x ¼ 1 or 2) with O2, O3, and NO2 for different O3

and NO2 levels.
The products of these reactions are not clear, but the

available evidence supports the yield of CH3SO2 being
substantial. It is often argued that thermal decompo-
sition of CH3SO2 radical to CH3 and SO2 is the most
important reaction in determining the formation of
SO2 in DMS oxidation. Important competing steps
will be reaction with O2 or O3, which will result in
formation of CH3S(O2)OO and CH3SO3. Since the
majority of SO2 is oxidized in the condensed phase, the
thermal decomposition will result in a low yield of
H2SO4(g); however, unity conversion of CH3S to non-
sea-salt sulfate would occur. Thermal decomposition
of CH3SO3 to CH3 and SO3would lead to a high yield
of H2SO4(g) via further reaction of SO3 with water.
However, at the time of writing it is thought that
bimolecular reaction with hydrogen-containing spe-
cies to form MSA dominates. CH3S(O2)OO can add
NO2 to form a short-lived peroxynitrate, but further
reaction to generate MSAwill also occur.

The unimolecular decomposition rates of CH3SOx

radicals and their O2-adducts are expected to be
strongly temperature-dependent. Competition be-
tween the thermal decomposition of these adducts
and their bimolecular reactions with atmospheric
species is the most probable reason for much of the
variation not only in field observations of DMS
oxidation products but also in the variations of
products reported in laboratory studies.

Important Atmospheric Interactions
of DMS

Aerosols in the 0.001–10 mm size range play a crucial
role in regulating climate since they scatter and absorb
radiation in the solar and thermal infrared ranges,
which modifies the Earth’s radiation budget. A signif-
icant fraction of the tropospheric aerosol mass in the
submicrometer-size particles is estimated to be derived
from homogeneous and in-cloud oxidation of gaseous
sulfur compounds, which are both of anthropogenic
and biogenic origin. There are three main sources of
aerosol in the remote marine boundary layer: sea salt
and non-sea-salt sources, and entrainment of free
tropospheric aerosol. The SO2 produced from DMS
oxidation is the predominant source of in situ non-sea-
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salt sulfate. SO2 is oxidized to H2SO4 in the gas phase
by reactionwithOHand in sea-salt aerosols and cloud
droplets. H2SO4 contributes either to aerosol growth
or to the formation of new sulfate particles. The
formation and subsequent growth of small particles
can effect climate via direct scattering and absorption
of solar radiation (direct effect), and by modifying the
frequency, lifetime, and optical properties of clouds
(indirect effect). Considering the probable importance
of DMS in the regulation of the Earth’s climate, there
have been relatively few laboratory investigations of
DMS photooxidation systems aimed at quantifying
the contribution of DMS-derived non-sea-salt sulfate
to cloud condensation nuclei (CCN).Model studies of

global SO2 indicate that there may be as yet unac-
counted oxidants involved in the DMS oxidation. The
Intergovernmental Panel on Climate Change (IPCC,
1995) has classified the coupling between DMS and
aerosols as an important component of the planetary
climate system that needs to be understood in detail.

The evaluation of the role of dimethyl sulfide in
climate regulation has been complicated recently by
two important findings. First, the conventional view
has generally been that non-sea-salt sulfate is the
primary source of CCN in the remote marine bound-
ary layer and that sea salt contributes little to this CCN
population. However, recent evidence suggests that
the contribution from sea salt to CCN can often be

CH3SCH2OO + HOO CH3SCH2OOH + O2

CH3SCH2OO + H2O

CH3SCHOOH + H2O

CH2SCH2OOH + H2O

CH3SCH2OOH

CH3SCH2O + OH

CH3SCH2OOH + OH

CH3SCH2OOH + h�

CH3SCH2OOH

OH

Wet or dry deposition

O

O

SH3C CH2OO + HOO
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Figure 2 Possible atmospheric reactions of the CH3SCH2OO radical and its oxygenated analogues (CH3SðOÞxCH2OO; x ¼ 1 or 2).

The large parentheses around theS¼Obonds denote twodifferent initial reactants and subsequent products, i.e. a compoundwith aS¼O
entity and another with a SO2 entity.
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quite substantial and under conditions of high wind
speed may even dominate, and also that scavenging of
SO2 andH2SO4 by sea salt aerosol is significant. These
findings show that non-sea-salt sulfate and sea salt
aerosols cannot be considered as distinct populations
and imply that any predicted climate changes based
solely upon changes in non-sea-salt sulfate CCN con-
centrations are likely to be substantially overstated.

Second, a recent comprehensive, geographically re-
solved inventory of ship emissions has shown that in
large sections of the Northern Hemisphere, and in
some regions of the Southern Hemisphere, anthro-
pogenic sulfur emissions from ships are compar-
able to biogenic dimethyl sulfide emissions, the dom-
inant source of sulfur from the ocean. Ship emissions
have the potential to affect air quality in many coastal

Table 3 Comparison of the first-order loss rates (k [A]) for the reaction of CH3SOx (x5 1 to 2) radicals with O2, O3, and NO2 at 298K

under various atmospheric conditions

Reaction CH3S1A k298K (cm3molecule�1 s� 1) [A] (molecules cm� 3) k[A] (s� 1)

CH3S1O2-products o3.0�10�18 a 5.17�1018 o15.5

CH3S1O3-products 5.6�10� 12 9.84�1011 (40ppb) 5.5

2.46�1012 (100ppb) 13.8

CH3S1NO2-products 5.6�10� 11 2.46�1010 (1 ppb) 1.4

1.23�1012 (20ppb) 28.9

CH3SO1O2-products (7.7� 10� 18) b 5.17�1018 (40)

CH3SO1O3-products 6�10�13 9.84�1011 (40ppb) 0.6

2.46�1012 (100ppb) 1.5

CH3SO1NO2-products 8�10�12 2.46�1010 (1 ppb) 0.2

1.23�1012 (20ppb) 9.8

CH3SO21O2-products (2.6� 10� 18) b 5.17�1018 (13)

CH3SO21O3-products 3�10�13 9.84�1011 (40ppb) 0.3

2.46�1012 (100ppb) 0.7

CH3SO21NO2-products 4�10�12 2.46�1010 (1 ppb) 0.1

1.23�1012 (20ppb) 4.9

aThe rate coefficient is for the reaction CH3S1O2 going to products other than CH3SOO. The upper limit is not corrected for the

CH3S1O2 $ CH3SOO equilibrium.
bThe rate of coefficient is estimated, only the reaction CH3SOx þO2 going to products other than CH3SOxOO is considered. The rate is

not corrected for the CH3SOx þO2 $ CH3SOxOO equilibrium.
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and port regions along heavily traveled international
trade routes. The results suggest that emissions of
sulfur and particulate matter from the international
shipping industry need to be considered in the study of
marine and coastal atmospheres.

As evidenced by thematerial presented here, further
progress in the elucidation of the DMS oxidation
mechanism and its implications for the Earth’s climate
will require both further advances in field studies and
detailed kinetic studies combinedwithmodeling of the
field data (Figures 3 and 4).

See also

Aerosols: Role in Cloud Physics. Biogeochemical
Cycles: Sulfur Cycle. Cloud Chemistry. Cloud
Microphysics. Clouds: Classification; Climatology.
Convective Cloud Systems: Modelling. Mesoscale
Meteorology: Cloud and Precipitation Bands. Noctilu-
cent Clouds.
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Introduction

The troposphere, the region of the Earth’s atmosphere
in which we live and breath, is composed of many
different kinds of gases. These components range from
the abundant two-atom molecules O2 and N2, to
larger andmore reactive chemicals, which include vast
numbers of different volatile organic compounds
(VOCs). Concentrations of VOCs can be as high as
one part per million by volume (10� 6, or ppmv) in
source regions (cities and near fires) and below one
part per trillion by volume (10�12, or pptv) in remote
regions. Many VOCs are important in tropospheric
reactions even at low pptv concentrations. A lot has
been learned in the last few decades about VOC
sources and their distributions. However, there is
much still to be determined about this very important
class of atmospheric gases.

Together with sunlight and nitrogen oxides
(NOx ¼ NOþNO2), VOCs undergo a complicated
series of chemical and physical transformations over a
whole range of spatial scales. Various classes of VOCs
have a large impact on atmospheric chemistry, con-
tributing to localized urban smog, regional scale
photochemical ozone pollution, acid deposition, and
particle formation/visibility degradation, and ulti-
mately global changes in the oxidizing capacity of
the troposphere. VOCs are also useful as diagnostic
tracers for atmospheric transport, chemical pathways,
and distribution of sources.

Photochemical smog has been detected in almost
all of the world’s major urban and industrial centers,
at levels that often exceed internationally agreed
threshold values set to protect human health.
Detailed understanding of the mechanism of photo-
chemical smog formation has developed from
pioneering studies of Los Angeles smog in the 1950s
through the combination of laboratory studies,
field experiments, air quality monitoring, and com-
putermodeling studies.Man-made chlorinated hydro-

carbons have reached the stratosphere, where
the intense solar radiation activates their chlorine
content into a potent depleting agent of the strato-
spheric ozone shield. Research into the important
role played by VOCs in a range of environmental
problems remains one of the most rapidly developing
topics in the fast-developing field of atmospheric
chemistry.

VOCs comprise a large variety of vapor phase
carbon-containing atmospheric gases in the reduced
form, with a wide range of physical and chemical
behaviors. Table 1 lists some important atmospheric
organic species. Pure hydrocarbons containing only C
and H, such as alkanes, alkenes, alkynes, and aromat-
ics are, in turn a very important category of VOC and
generally are referred to as nonmethane hydrocarbons
(NMHCs). However, VOCs containing oxygen,
chlorine, nitrogen, and other elements are also of
significance. These gases include aldehydes, ketones,
organic acids, alcohols (Table 1), and also ethers,
esters, furans, nitriles, organic nitrates, chlorinated
alkanes and alkenes, chlorofluorocarbons (CFCs), and
hydrochlorofluorocarbons (HCFCs). Only carbon
dioxide (CO2) and carbon monoxide (CO) are ex-
cluded. VOCs are typically classed as containing up to
12 carbon atoms per molecule, as those with longer
chains tend to partition into atmospheric particles to
form organic aerosols.

VOCs are released into the atmosphere from
numerous types of sources, both natural and from
various human activities (anthropogenic). Table 1
indicates that important source categories are com-
bustion processes (e.g., vehicle exhausts and biomass
burning); production, treatment, storage, and distri-
bution of fossil fuels; and natural emissions from
plants and the ocean. Other sources include organic
solvents and landfills. In order to fully assess and
control the effect that these gases have on our local,
regional, and global air quality, it is important to
compile detailed information on their emissions.
However, the many types of sources, and their vast
number, mean that preparing an inventory of emis-
sions that includes all the diverse individual species is
an extremely difficult task.
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The diverse natural and anthropogenic VOC emis-
sion sources, together with their relatively short
atmospheric lifetimes (Table 1), mean that VOCs
show significant variation in their spatial (latitudinal
and vertical), and temporal (diurnal and seasonal)
distribution patterns in the atmosphere. Therefore,
direct observations of such patterns play an important
role in assessment of emissions and their effect on
atmospheric chemistry.

Hydroxyl Radicals, Atmospheric
Lifetimes, and Ozone Formation

Even at relatively low tropospheric mixing ratios
(ppbv to pptv levels, Table 1), the high reactivity of

VOCs allows them to play a significant role in
atmospheric chemistry. The main sink of most VOCs
is through photooxidation, initiated typically by
reaction with hydroxyl (OH�) free radicals. These
radicals are formed when ozone (O3) is photolyzed by
sunlight of a particular wavelength range (denoted
below as hn) to produce excited ‘singlet’ (O(1D))
oxygen atoms (eqn [I]).

O3 þ hn ! Oð1DÞ þO2 ½I�
These then collide with a water molecule to produce
two hydroxyl free radicals (radical species are here
indicated by a ‘dot’ (�)) (eqn [II]).

Oð1DÞ þH2O ! 2OH� ½II�

Table 1 Some important atmospheric organic species: typical sources, sinks and concentration ranges

Class and compound Formula Estimated

atmospheric

lifetime

Principal source

typesa
Principal sinks Typical remote

mixing ratios

(ppb)

Alkanes

Methane CH4 10 years Microbial, natural

gas, BB

OH�, Stratosphere 1.7–1.9 ppm

Ethane C2H6 80 days Natural gas, motor

vehicles

OH� 0.2–2

Propane C3H8 17 days LPG, motor vehicles OH� 0–1

n-Butane C4H10 6 days Motor vehicles OH� 0–0.5

i-Pentane C5H12 4 days Motor vehicles OH� 0–0.3

Alkenes

Ethene C2H4 1.7 days Vehicle exhaust, BB,

biogenic

OH�, NO3
�, O3 0–0.1

Propene C3H6 7 hours Motor vehicles, BB,

biogenic

OH�, NO3
�, O3 0–0.1

Isoprene C5H8 1.5 hours Vegetation OH�, NO3
�, O3 0–1

a-Pinene C10H16 3 hours Vegetation OH�, NO3
�, O3 0–1

Alkynes

Ethyne C2H2 24 days Vehicle

exhaust, BB

OH� 0–1

Aromatics

Benzene C6H6 12 days Motor vehicles, solvents OH� 0–0.5

Toluene C7H8 2.5 days Motor vehicles, solvents OH� 0–0.5

m-Xylene C8H10 0.6 days Motor vehicles, solvents OH� 0–0.1

Aldehydes

Formaldehyde HCHO 4 hours HC oxidation, vehicle

exhaust, BB

OH�, NO3
�, hn 0.1–0.5

Acetaldehyde CH3CHO 11 hours Vehicle exhaust, HC oxidation,

biogenic

OH�, hn 0.1–0.2

Ketones

Acetone CH3C(O)CH3 16 days HC oxidation, BB, biogenic OH�, hn 0.3–1

Acids

Formic acid HCOOH B1 week HC oxidation, BB, biogenic Scavenging 0–5

Acetic acid CH3COOH B1 week HC oxidation, BB, biogenic Scavenging 0–2

Peroxides

Methyl

hydroperoxide

CH3OOH 2 days HC oxidation Scavenging,

OH�, hn
0–1

Alcohols

Methanol CH3OH 16 days Biogenic, HC oxidation OH� 0.4–2.0

Sulfur gas

Dimethyl sulfide CH3SCH3 3 days Oceans OH�, NO3
� 0–200ppt

aHC, hydrocarbon; LPG, liquid petroleum gas; BB, biomass burning.
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The lifetime (t) of a hydrocarbon species RH, as a
result of reaction with the hydroxyl radical (eqn [III])
is given by eqn [1], where k is the laboratory
determined reaction rate constant.

RHþOH� �!k products ½III�

tRHOH
¼ 1

k½OH�� ½1�

Hydrocarbons, such as the alkenes, which contain
C5C double bonds, also undergo addition reactions
with ozone (Table 1).

Unlike most hydrocarbons, many nonmethane oxy-
genated VOC (OVOC) species such as formaldehyde
(HCHO) can be photolyzed throughout the tropo-
sphere (Table 1). Their lifetime as a result of photolysis
according to eqn [IV] is the inverse of the photolysis
rate constant (JOVOC) (eqn [2]).

OVOCþ hn� �!JOVOC
products ½IV�

tOVOChn ¼
1

JOVOC

½2�

Ozone can be produced as a result of this oxidation
of ‘atmospheric fuels’ (CO, methane (CH4) and other
VOCs) in the presence of nitrogen oxides and sunlight.
The oxidation of a typical VOC is illustrated in
Figure 1.

In parts of the atmosphere remote from sources, the
formation of ozone is dominated by the oxidation of
CO and CH4. Methane reacts with hydroxyl radicals
and subsequently oxygen to make methylperoxy
radicals (CH3O2

�) (eqn [V]).

CH4 þOH� þO2 ! CH3O
�
2 þH2O ½V�

Depending upon the relative concentration of
nitric oxide (NO) and hydroperoxy radicals (HO2

�),
the methylperoxy radicals will yield formalde-
hyde (CH2O) or methylhydroperoxide (CH3OOH)
(eqn [VI]).

CH3O
�
2 þNO ! CH2OþNO2 ½VI�

Thus, CH4 is the predominant parent hydrocarbon for
formaldehyde.

However, in the rural and urban atmospheres of
industrialized countries, both biogenic and anthro-
pogenic nonmethane VOCs (NMVOCs) frequently
play an extremely important role in the formation of
pollutants, includingO3 and other oxidants. As shown
in Figure 1, the photooxidation reactions of VOCs
leads to the formation of the highly reactive radicals
HO2

� and RO2
� (alkylperoxy radicals), both of which

species oxidize NO to NO2 to produce O3 and
carbonyl molecules. These carbonyls are themselves

highly reactive VOCs and will be photolyzed or
attacked by OH� radicals to produce more peroxy
radicals (Figure 1) and subsequently more ozone.
Therefore, under the right conditions, more than one
molecule of ozone is produced for each NMHC
oxidized. It is through this cycling of HO2

� and NO2

that VOCs such as NMHCs and other VOCs have an
active role inHOx chemistry and in ozone production.
In fact, organic compounds can be classified according
to their atmospheric reactivity and consequently their
photochemical ozone creation potential.

Other major products are organic nitrates, includ-
ing peroxyacyl nitrates such as peroxyacetyl nitrate
(PAN) and organic nitrates (RONO2) (Figure 1). PAN
and O3 are major surface level pollutants, especially
in urban areas, and are responsible for many of
the negative consequences for human health and
crop damage associated with photochemical smog.
Organic nitrates have substantially longer photo-
chemical lifetimes than NOx, and so can be effective
temporary reservoirs, transporting reactive nitrogen
far from the source and effectively expanding the
spatial influence of the original emissions.

The production of tropospheric ozone is balanced
by in situ photochemical destruction and by dry
deposition at the Earth’s surface. In the continental
boundary layer, especially above forested regions and
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in urbanized and industrialized areas (where the level
of biogenic or anthropogenic hydrocarbons can be
high), similar cycles involving oxidation of VOCs
become dominant mechanisms for the photochemical
production of O3. Urban ozone generation is most
efficient when the relative proportions are about 7 to 1
VOC to NOx. Because the atmospheric ‘fuels’ are
readily available in most areas of the world (even in
remote areas), NOx is very often the rate-limiting
precursor of ozone formation. Biogenic emissions of
VOCs are often abundant enough to have a critical
influence on this ratio, especially in urban–suburban
areas, such as Atlanta, Georgia in the United States,
and must be taken into account when regulating
emissions with the goal of reducing tropospheric
ozone pollution.

Sources and Sinks

Fossil fuel production, industries, and automobiles all
produce VOCs in varying amounts. Anthropogenic
activities are a major source of VOCs, especially
hydrocarbons. A recent estimate of anthropogenic
nonmethane VOC emissions indicates a global source
of about 140Tg y�1, or 140�106 t y�1. However,
natural sources make a significantly larger contribu-
tion to total emissions, with about 1150Tg y�1 of
biogenic origin.

Emissions from different types of sources will result
in varying atmospheric distributions. Motor vehicles
are a large source of VOC emissions in the United
States and most of Europe. They are the result of both
exhaust emissions and evaporation of the unburned
fuel (evaporative emissions). Most VOCs are emitted
over continental regions.

Combustion Processes

The major products of complete combustion of fossil
fuels are carbon dioxide and water. However, in
practice, actual combustion processes are less com-
plete. One common reason is lack of oxygen; or the
combustion temperature might be low; alternatively
the residence time of the fuel in the burner zonemay be
too short. This incomplete combustion of fossil fuels
leads to emissions of CO and VOCs. Hydrocarbons
can be emitted in a partly oxidized form (e.g.,
aldehydes) or even in anunoxidized form (e.g., alkanes
and aromatics). In addition, new hydrocarbons (e.g.,
alkenes, alkynes, and aromatics) may be formed by
radical reactions. Themore incomplete the reaction is,
the greater the resultant VOC emissions. Exhaust
emissions of VOCs from motor vehicles are strongly
dependent on engine type, emission control technol-
ogy, driving modes (open highway or heavy traffic),

and ambient temperature at cold start. For example,
two-stroke engines of mopeds tend to have the highest
VOC emissions per unit of fuel used, while gasoline
engines equipped with three-way catalysts have rela-
tively low emissions of noncombusted or partly
combusted gasoline.

Another important global source is emissions from
the combustion of organic material in oxygen-defi-
cient fires, or biomass burning. The combustion of
biomass material is a common practice, principally in
the tropics during the dry season. Approximately 90%
of all biomass burning events are thought to be
initiated by human activities; it is done to clear forest
land for agriculture and grazing, to burn agricultural
by-products and dry savanna grasses, to maintain soil
fertility, for weed control, to discourage insects and
other pests, and in use as fuel for cooking and heating.
This burning leads to the emission of methane,
NMHCs, and a variety of partially oxidized organic
compounds (Table 1), often consisting of a high
proportion of medium- and high-molecular weight
gases, in addition to carbonmonoxide and particulate
species. Biomass burning accounts for global NMHC
emissions of about 40Tg y� 1.

About 80% of biomass burning is thought to occur
in the tropics, with themajority taking place in Africa,
South America, and Asia. These emissions contribute
significantly to the local and sometimes regional
budgets of organic trace gases and the formation of
ozone.

Methane

Methane is the most abundant hydrocarbon in the
atmosphere. Its global sources total about 540Tg y�1,
with about 160Tg y� 1 from natural sources (mostly
wetlands), and about 380Tg y� 1 from anthropogenic
sources (principally fossil fuels, livestock, and rice
paddies). Of this, emissions from landfills, tropical
swamps, rice fields, biomass burning, and termites
total about 300Tg y� 1. Annual methane destruction
rates total about 515Tg y� 1, with approximately
445Tg by OH� oxidation, 40Tg by loss to the
stratosphere, and 30Tg by soil absorption. This
implies that identified total sources exceed sinks by
about 20Tg y�1. However, recent temporal increases
illustrated in Figure 2, are more consistent with
sources exceeding sinks by about 35–40Tg y� 1.

Methane levels began to increase rapidly about
1800 and have more than doubled over the past
200 years (Figure 2) as a consequence of modern
industrial, agricultural, and residential activities.
For example, since about 1800, the number of
domestic ruminants (which produce methane by
enteric fermentation of grasses) has increased
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dramatically, accounting for about 15% of the total
methane emitted annually.

Biogenic Sources

Large quantities of organic compounds are emitted
from vegetation. As stated earlier, current global
emission estimates of biogenic hydrocarbons total
about 1150Tg y� 1. The most common NMHC, iso-
prene (C5H8, 2-methyl-1,3-butadiene), alone is esti-
mated to be emitted at a rate of about 500Tg y� 1,
mostly from deciduous vegetation in the presence of
photosynthetically active radiation. In addition,
plants are known to emit a range of monoterpenes
(C10H16, including a- and b-pinene, camphene, care-
ne, d-limonene, and terpinolene), various alcohols
(e.g., methanol, ethanol, and 2-methyl-3-buten-2-ol),
aldehydes (e.g., acetaldehyde), ketones (including
acetone), ethene (C2H4), esters, and furans. Many of
these hydrocarbons contain C5C double bonds,
which makes them susceptible to attack by O3 as
well as NO3

� (nitrate radical) and OH� radicals (see
Table 1).

Reactive hydrocarbons, therefore, have long been a
standard feature of Earth’s atmosphere. Thus, it is
often the presence or absence of NOx that will
determine whether ozone will be generated in the
troposphere. Before the industrial era, NOx was
produced from atmospheric N2 and O2 only occa-
sionally, for example, during forest fires and lightning.
Now sources such as cars are all too common. This
makes natural VOC sources very important in deter-
mination of the human impact of atmospheric pollu-
tion on the troposphere.

Oxygenated VOCs
The fact that many oxygenated species can be photo-
lyzed throughout the troposphere means that their
influence on tropospheric chemistry and ozone-for-
mation potential is somewhat different from that of
pure hydrocarbons. For example, carbonyls (includ-
ing acetone and formaldehyde) and peroxides are
important as sources of reactive odd oxygen (HO�

x free
radicals) in the global-regional troposphere and in
smoke plumes (Figure 1). Molecules such as acetone
can form PAN in the upper troposphere, thus promot-
ing the long-range transport of active nitrogen.

Formaldehyde (CH2O) has an extremely short
atmospheric lifetime (a few hours) compared to
acetone (Table 1), and is principally a secondary
photochemical by-product of methane and other
hydrocarbon oxidation. It is an integral component
of atmospheric photochemistry and air pollution. The
photolysis of formaldehyde, its reaction with OH�, or
its reaction with the NO3

� radical at night leads to
peroxy radical (HO2

�) formation and subsequently
(and more importantly) to stronger oxidants like OH�

and ozone. Formaldehyde photolysis is also a signif-
icant source of molecular hydrogen, H2. Formalde-
hyde is directly emitted into the atmosphere by
combustion of fossil fuels and biomass); however,
these sources are small (o5%) in comparison with the
global photochemical production frommethane alone
(approximately 103Tg).

Formic acid and acetic acid are ubiquitous tropo-
spheric trace gases and contribute a large fraction of
the free acidity in precipitation in remote areas.
Known sources include primary emissions from ter-
restrial vegetation and from automobile exhaust and
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biomass burning. They are also formed as secondary
products of photochemical gas phase reactions of
ozone with alkenes and liquid phase cloud-water
reactions. Neither photolysis nor reaction with OH�

represent a significant sink, but organic acids are
quickly removed from the atmosphere by scavenging
out of the gas phase by coming into contact with
atmospheric water and aerosol particles (Table 1).
However, their chemistry is at best highly uncertain.

In general, measurements of organic oxygenated
species in the remote troposphere are extremely sparse
and often limited to a few species. However, a large
number of oxygenated organic chemicals, including
PAN, alkyl nitrates, acetone, formaldehyde, metha-
nol, methylhydroperoxide, acetic acid, and formic
acid, were measured during the October/November
1997 NASA SONEX (SASS Ozone and Nitrogen
Oxide Experiment) mission over the North Atlantic
region. SONEX revealed that the total atmospheric
abundance or these oxygenated species nearly equals
that of total NMHCs.

Sampling and Analysis

Accurate measurements of the spatial distributions of
VOCs on both a local and global scale can reveal a
great deal about the magnitude and distribution of
their sources and sinks, and provide essential insights
into the origin of tropospheric ozone.Halocarbon and
NMHC gases are useful tracers of anthropogenic and
biogenic emissions, and for characterizing marine
boundary layer (MBL) air.

The number of VOCs that can be found in the
atmosphere, often at low but relevant levels (as the
result of their relatively short atmospheric lifetimes)
(Table 1), is very substantial. Depending on the
measurement site, thousands of individual VOCs can
be detected in ambient air. The analysis of such a wide
range of compounds requires a variety of different
approaches and techniques with high separation
power or highly specific detection methods. Measure-
ment of any single class of organic compound often
presents unique problems associated with sampling,
standardization, analysis, and detection. These prob-
lems are multiplied when the simultaneous measure-
ment of different compound classes is desired.

There has been tremendous progress in measure-
ment techniques for atmospheric VOCs over the past
10–15 years, and existing techniques allow measure-
ment of a broad range of VOCs in concentrations
ranging down to a few pptv and even below. VOCs
have been measured in a wide variety of atmospheric
environments, from urban to the most remote loca-
tions over the tropical oceans and polar regions.
Nevertheless, the organic chemical composition of the

troposphere is far from adequately characterized and
the comprehensivedeterminationof troposphericVOC
concentrations is still a challenging and evolving field.

Sampling Methods

In situ instrumentation is often unavailable or
impractical for use in the field to measure the range
of VOCs of interest. There are numerous sampling
techniques, the most popular of which are whole air
sampling into a container, and sampling on solid
adsorbents. The combination of sampling on solid
adsorbents, followed by solvent extraction and sub-
sequent analysis – for example, by high-pressure liquid
chromatography (HPLC) or gas chromatography–
mass spectrometry (GC–MS) – is themostwidely used,
but a high incidence of sampling artifacts have hitherto
confined them principally to studies in urban areas or
studies of indoor pollution, rather than clean back-
ground conditions. The costly practice of collecting
whole air into evacuated stainless steel canisters
(either at ambient pressure or above, employing a
sampling pump) has proved successful for the sam-
pling of low- to medium-weight VOCs, particularly
NMHCs and halocarbons, down to very low mixing
ratios in air. However, compounds greater than about
C10 are likely to adsorb onto the walls of the canister
during storage, leading to an underestimation of their
ambient concentrations.

A substantial number of atmospheric VOCs are
either highly polar (such as aldehydes and ketones) or
thermally unstable (e.g., PAN). This limits the use of
the conventional sampling techniques describedabove.

Analytical Methods

Because of the typically low ambient VOC mixing
ratios, some kind of preconcentration or sample
enrichment step is needed prior to sample analysis.
Most commonly, whole air samples are passed
through a cold trap where the VOCs are condensed
cryogenically, then warmed and flushed from the trap
to a gas chromatographic column for separation of the
complexmixture of components. The detailed speciat-
ion ofmulti-componentmixtures often dictates the use
of high-resolution capilliary columnshaving a range of
physical properties tailored to the separation of target
molecules with different polarities and volatilities.
Flame ionization detection (FID), electron capture
detection (ECD) and mass spectrometry (MS) are the
most widely used detection methods for whole air
samples.

Distributions

Trace gas distributions provide information crucial to
establishing the extent of continental influence on the
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chemical environment of the remote troposphere.
Useful markers for such continental influences are
ethane and ethyne, which have natural gas and
combustion, respectively as their main sources
(Table 1), and C2C14 which is a manmade solvent
emitted from activities like dry cleaning. The average
atmospheric lifetimes of ethane, ethyne, andC2Cl4 are
much less than the 1-year average interhemispheric
exchange time. However, they are comparable to
mixing times within a hemisphere (about 2–6 weeks
depending on latitude and season). Therefore, the
NMHCs and C2Cl4 show significant latitudinal,
seasonal, and vertical gradients in the atmosphere.

Because OH�, the main sink of VOCs is generated
photochemically during daylight (see above), the
strength of this sink varies diurnally and seasonally.
Minimum OH levels at high latitudes are found in
winter, resulting in significantly reduced removal rates
for many trace gases. In the remote atmosphere, the
most abundant NMHC compounds are the longest-
lived group of light hydrocarbons (i.e., ethane, ethyne,
and propane). Figure 3 shows sharp latitude gradients
in ethane andpropane,with highermixing ratios in the
Northern Hemisphere during the winter months of
March and December Figure 4 illustrates how these
same gases fit to a seasonal cycle, with much higher
mixing ratios of ethane in the Northern Hemisphere,
close to the major anthropogenic source regions
compared to the maximum ethane levels reached in
the Southern Hemisphere winter.

VOCs have been used in the study of the dynamical
structure of such regions as the intertropical conver-
gence zone (ITCZ). The ITCZ is a zone of convection
near the Equator, which forms a barrier to mixing

between the air of the Northern and Southern Hem-
ispheres. In addition, VOCs are useful probes with
which to constrain atmospheric concentrations of
OH� and atomic chlorine (Cl�) radicals. Speciated
sources, sinks, and distributions of VOCs are crucial
inputs into computer models of atmospheric chemis-
try. Such calculations test our understandingof the fate
and impact of VOCs on the photochemistry in the
troposphere.

Tropospheric O3 has two predominant sources,
in situ photochemical production from its precursors
(CO, NMHCs, and NOx) as outlined above, and
downward mixing from the stratosphere. When com-
bined with meteorological trajectory analysis, the
contributions of different combinations of VOCs
associated with the different source types discussed
above enables the use of VOCs as chemical tracers
playing a crucial role in establishing the most likely
origin of O3-enriched layers. For example, incomplete
combustion, including urban fossil fuel use and
biomass burning, is the principal global source of
ethane (C2H6), and ethyne (C2H2); however, some
gases such as C2Cl4 are specific to industrial/urban
activities, and serve as markers for such urban
effluents. Biomass burning is an important global
source of CH3Cl (approximately 25–50%) and mix-
ing ratios of CH3Cl typically are not elevated in
northern cities (i.e., those that do not rely heavily on
biomass fuels), consistent with CH3Cl having no
significant urban/industrial origins. This makes
CH3Cl a particularly useful diagnostic for biomass
burning emissions.

The most comprehensive speciation, combined
with spatial coverage, to date has been achieved by
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sampling aboard specially modified aircraft. In par-
ticular, the NASA Global Tropospheric Experiment
(GTE) field campaigns have examined specific aspects

of the tropospheric ozone budget and have amassed a
significant database of tropospheric VOC measure-
ments, including, NMHCs, dimethyl sulfide, halocar-
bons, formaldehyde, methyl peroxide, and acetone
distributions (see http://www-gte.larc.nasa.gov). Be-
cause of their cost, these field campaigns are not
numerous and they are limited in temporal and spatial
coverage. However, remote measurements of tropo-
spheric trace gases from satellite platforms are still
very limited in the range of gases that can be
quantified. They are also associated with reduced
accuracy and poor altitude resolution. Thus, in situ
aircraft measurements presently offer the only way to
achieve high quality measurements of VOCs that are
present at low abundance in the atmosphere.

Most of the removal of long-lived oxidizable gases
(e.g., CH4 and methylchloroform, CH3CCl3) takes
place in the tropical troposphere, where abundant
sunlight and high humidity enhance the formation
of OH� from the photolysis of O3. The composition
of the tropical troposphere is particularly important
because this is the predominant region from which
the surviving gases and aerosols are transported
upward into the lower stratosphere. Therefore, un-
derstanding the influence of tropical sources, such
as biomass burning, on the production of O3 is
necessary for assessing the impact of tropical fires
both on the global oxidizing capacity of the atmos-
phere and on the radiative forcing of O3 in the upper
troposphere.

Aircraft investigations such as the NASA GTE
experiments TRACE-A (Transport and Atmospheric
Chemistry near the Equator – Atlantic) and PEM-
Tropics A (Pacific Exploratory Mission – Tropics)
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encountered high levels of tropospheric ozone trans-
ported in fire plumes over large regions of the Southern
Hemisphere. TRACE-A confirmed that biomass burn-
ing profoundly affects the chemical composition of the
troposphere over the tropical South Atlantic during
the Southern Hemisphere dry season, resulting in a
seasonal enhancement by a factor of two in tropo-
spheric ozone mixing ratios.

The South Central Pacific region is very far from
large-scale agricultural and industrial activities. Nev-
ertheless, a variety of observations made during PEM-
Tropics A have established the surprisingly ubiquitous
influence of biomass burning emissions on the tropo-
sphere in this remote region. For example, Figure 5
shows a vertical profile through a thick pollution layer
observed between 3 and 7 km, sampled by the NASA
DC-8 aircraft near Tahiti on 5 September 1996. This
layer exhibited high mixing ratios of O3, CO, C2H6,
C2H2, andCH3Cl, but C2Cl4 remained at background
levels (Figure 5). The lack of enhancement of C2Cl4 in
the plume indicates that urban pollutants did not
contribute substantially. Instead, the observed signa-
ture of pollution tracers reveals distant biomass fires to
be the source. Winds at the plume altitude were
predominantly from the west and calculated meteor-
ological trajectories indicated that the plume air was
over a region of Southern Africa where seasonal
burning was taking place 9–10 days prior to being
sampled near Tahiti.

See also

Chemistry of the Atmosphere: Chemical Kinetics.
Tropical Meteorology: Inter Tropical Convergence
Zones (ITCZ). Tropospheric Chemistry and Compo-
sition: Aerosols/Particles; Aliphatic Hydrocarbons; Aro-
matic Hydrocarbons; Biogenic Hydrocarbons (inc.
isoprene); Oxidizing Capacity.
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Introduction

Atmospheric flow has an important effect on the
distribution of chemical species bymoving them away
from the location of their sources and towards the
location of their sinks. This process is transport.
Unless the flow is uniform in space, it also distorts the
geometric structure of chemical concentrationfields so
as to bring air parcels with different chemical charac-
ter into closer and closer proximity. This process may
be called stirring. The stirring processes typically draw
out a volume of air (perhaps air with an anomalous
chemical concentration) into thin filaments or sheets.
Ultimately, the distance between air parcels of differ-
ing chemical concentration is so small that molecular
diffusion may act rapidly to homogenize the chemical

concentration fields. This latter process ismixing. The
three processes of transport, stirring, and mixing are
depicted schematically in Figure 1.

Without the stirring effect of the flow, time scales for
diffusive homogenization would be extremely long.
Consider the advection–diffusion equation for the
concentration w x; tð Þ of some chemical species:

Dw
Dt

¼ qw
qt

þ u 	 =w ¼ k=2w

estimated size :
wU
L

;
kw
L2

½1�

where uðx; tÞ is the velocity field, with x being a vector
representing spatial position and t time, and k is the
molecular diffusivity. Suppose that a characteristic
length scale for the concentration field and the
velocity field is L and the characteristic velocity scale
is U. These scales might, for example, be imposed
by boundary conditions, geometry or forcing. The
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corresponding estimates for the advection and diffu-
sion terms (respectively the second term on the left-
hand side and the term on the right-hand side) in eqn
[1] are shown below the equation. Note first that the
ratio of the advection term to the diffusion term is
UL=k, generally called the Peclet number (Pe). If this
number is large then advection dominates diffusion. If
it is small then diffusion dominates advection. It also
follows from the above that the time scale for diffusion
is given by L2=k.

In the atmosphere the molecular diffusivity of most
gaseous chemical species varies from about
10�5m2 s�1 in the troposphere to 10�3m2 s� 1 in the
upper stratosphere to higher values still in the meso-
sphere and thermosphere. The corresponding estimate
for the time needed for molecular diffusion to
homogenize chemical concentrations in the tropo-
sphere and lower stratosphere over a distance of, say,
100m would therefore be more than 108 s, i.e., a few
years. In reality, the effect of molecular diffusion is
considerably enhanced by the stirring effect of the
flow, which reduces the length scale of the concentra-
tion field, thereby increasing the size of the diffusive
term on the right-hand side of eqn [1], which has
magnitude kw=l2 when the length scale of the concen-
tration field is l. The diffusive term therefore becomes
comparable to the advective term when k=l2 � U=L,
i.e., when l � Lðk=ULÞ1=2 ¼ LPe�1=2.

Stretching, Relative Dispersion
and Mixing

The stirring process involves the geometrical defor-
mation of material lines and surfaces. One useful
measure of the stirring effect of the flow is the rate at
which material lines or surfaces are stretched. For
example, the equation for a material line element lðtÞ
(l represents the difference in position between two
nearby marked fluid particles) is

dl

dt
¼ l 	 =uð Þ ½2�

This equation is valid, provided that the separation
distance jlj is smaller than the length scale onwhich the
flow varies. If there is a systematic tendency for nearby
particles to separate, then, for any pair of particles
with finite initial separation, eqn [2] will eventually
become invalid. Note that the velocity gradient tensor
on the right-hand side of this equation must be
evaluated following one of the fluid particles defining
the line element. It is therefore the time history of this
tensor following the flow that determines the stretch-
ing. Avery simple example is onewhere the flow is two
dimensional and the velocity gradient tensor is steady,
taking the form

=uð Þij ¼
qui
qxj

� �
¼ a b� c

bþ c �a

� �
½3�

(chosen to match the requirement that the
flow is incompressible, i.e., qu1=qx1 þ qu2=qx2 ¼ 0).
Then it is straightforward to solve eqn [2] to show
that if a2 þ b2 > c2 the solution is l tð Þ ¼ lþeþ
expð ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi

a2 þ b2 � c2
p

tÞ þl�e� expð� ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
a2 þ b2 � c2

p
tÞ,

where lþ and l� are constants and eþ and e� are
constant vectors. The first term dominates at large
time, implying that the length of line elements
increases exponentially with time and hence that there
is effective relative dispersion of nearby fluid particles.
On the other hand, if a2 þ b2oc2, then the solutions of
eqn [2] are oscillatory, i.e., there is no systematic
increase with time.

The model above in which the velocity gradient
tensor is constant in time is not very relevant to real
atmospheric flows. (Note that the model corresponds
to the tensor being constant following an air parcel,
not simply constant at fixed points in space). In many
realistic flows, particularly turbulent flows, the velo-
city gradient tensor experienced by an air parcel has a
complex time variation and might be represented as a
random function of time. A model where the velocity
gradient tensor is represented as a random function,
with certain specified statistical properties, is called a
random-strainingmodel. Such models predict that the

(A)

(C)

(B)

Figure1 Three-stageprocess leading tomixing. Twoairmasses

containing different chemicals are initially well separated. In stage

A transport brings the two air masses into the same region. (One

might more accurately call this relative transport.) However, length

scales are still relatively large and diffusive time scales are long. In

stage B stirring distorts the chemical distributions into filaments or

sheets, thereby reducing their characteristic length scales. As a

result diffusive time scales are reduced and in stage C mixing

between the air masses can occur, leading to homogenization

(at the molecular scale) of chemical concentrations. Note that

stages A and B have been separated here for clarity, but in many

cases it may not be appropriate to distinguish between A and B.
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exponential stretching is robust, although there is an
important dependence of the rate of increase on the
correlation time for the random variation of the
velocity gradient tensor. Amore detailed investigation
of more realistic models for a wide variety of atmos-
pheric flows has shown that there is very often
exponential stretching of line elements at a rate that
roughly corresponds to the size of the components of
the velocity gradient tensor. Exceptionsmight be in the
interior of long-lived eddies, where the regime for
oscillatory solutions of eqn [2] might be relevant, and
in cases where the correlation time for the velocity
gradient tensor is very short, when the stretching rate
will be reduced.

To emphasize the implications of material line
lengthening and relative dispersion for stirring and
mixing, it is useful to consider the evolution of a small
material surface (assumed tobe smaller than the length
scale on which the velocity field varies) that is initially
a sphere (or, in two dimensions, a small material
contour that is initially a circle). The tendency of line
elements to stretch, as described by eqn [2], implies
that the sphere is deformed into an ellipsoid, at least
one axis of which systematically increases in time. In
an incompressible flow the volume of the sphere
remains constant with time; therefore, the systematic
increase in length of one axis is inevitably accompa-
nied by the systematic decrease in length of another
axis. This is amanifestation of the scale reduction that
leads to mixing. In a compressible flow there is no
absolute constraint on the volume of the sphere, but
nonetheless it is the case that in almost all flows the
density will not systematically reduce, implying again
that one axismust systematically reduce in length. The
geometry of the ellipsoidal material surface becomes
more complicated when its maximum dimension
becomes as large as the length scale on which the
velocity field varies. The surface is then strongly
distorted and folded as different parts of the surface
experience very different velocity gradients.

The relevance of deformation of material surfaces
on curves (see Figure 2) to the evolution of the
concentration of a chemical species is emphasized by
noting that a similar picture holds in backward time.
Neglecting the effects of diffusivity for the present, the
values of concentration in a small spherical regionwill
be the values that were present in the same material
region at the initial time. If that material region is
stretched (in backward time) to length scales greater
than those on which the concentration varies in the
initial condition, then the small spherical region will
contain a wide range of different concentration values
and it can be safely assumed that the effect of
diffusivity will eventually be to homogenize those
values over the region. The intimate relation between

relative dispersion (i.e., the separation of nearby
particles) and mixing has been exploited in many
theoretical studies of the mixing problem.

The stirring and mixing process has so far been
described as completely generic. One could equally
well be considering the mixing of a smoke plume from
a factory into the surrounding boundary layer air, or
the mixing into the upper troposphere of boundary
layer air that has been lofted in a convective cloud or a
convective complex, or the mixing of stratospheric
ozone-depleted Antarctic air into midlatitudes as the
polar vortex breaks up in the late spring. These
examples range in scales from a hundred meters or so
to several thousand kilometers. But the flows that are
responsible for stirring andmixing in each of the cases
are very different, and this has important implications
for the stirring and mixing process.

Mixing in Three-Dimensional
Turbulence

One important category of flow that gives rise to
effective mixing is three-dimensional turbulence that
occurs, for example, in the boundary layer and in

t = 0
t = T

Figure 2 Deformation of two material curves/surfaces. The top

panel showsasmall circle at time t ¼ 0,which is thendeformed into

an ellipse (while its maximum dimension is less than the charac-

teristic scale of the flow) and then into amore complex structure (as

different parts of the curve experiencevery different velocity fields).

The bottom panel shows a small circle at time t ¼ T , which

originated from a complex filamental structure at t ¼ 0. This

structuremaybeobtainedbydeforming thecircle in backward time.

The values of chemical concentration inside the circle at t ¼ T are

just those sampled by the filamental structure at time t ¼ 0. (Note

that the two panels do not imply any kind of reversibility – the lower

panel corresponds to a particular choice of initial condition that

involves a circle at time T . If the evolution was continued after time

T the circle would stretch and eventually become geometrically

complex, much as in the top panel.)
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convective clouds and also in intermittent internal
mixing events in the troposphere and the stratosphere.

The dynamics of three-dimensional turbulence is
characterized by energy input at some large scale, L. If
velocities at the large scale are of typical size U, then
the energy input rate e satisfies e � U3=L. The
dynamics of the turbulent eddies transfer energy
from the input scale to smaller and smaller scales
through a so-called ‘inertial range’. The classical
Kolmogorov scaling predicts that in the inertial range
the velocity fluctuations at length scale l vary as
e1=3l1=3 ¼ Uðl=LÞ1=3 and therefore that the typical size
of components of the velocity gradient tensor is
ðU=LÞðL=lÞ2=3. The energy transfer is terminated at
the dissipation scale ln, often called the Kolmogorov
scale, where the molecular diffusion of momentum
becomes competitivewith other flow processes. ln may
be estimated by assuming that stretching and diffusion
time scales are equal, implying that ln � n3=4e�1=4,
where n is the momentum diffusivity. The rate of
energy dissipation at the Kolmogorov scale must, in a
steady state, equal e, the rate of energy input at the
large scale.

It follows that the largest contributions to the
stretching come from the velocity field at the dissipa-
tion scale and, furthermore, the stretching rate at those
scales is considerably larger (by a factor of ðUL=nÞ1=2)
than that estimated using velocity and length scales at
the energy input scale. (Note that the velocity gradient
is a good estimate for the inverse of the time scale for
line stretching since, for three-dimensional turbulence,
the time-series of velocity gradient experienced by an
air parcel is essentially random and, furthermore, the
correlation time is of the order of the inverse of the
velocity gradient at the dissipation scale.)

If the diffusivity k for the chemical species is much
less than n, then the Peclet number at the Kolmogorov
scale may be large and the eddies at this scale must stir
the chemical concentration field to smaller scales for
diffusive homogenization to occur. However, for most
chemical species of interest in the atmosphere we may
assume k � n and therefore diffusive homogenization
occurs at the Kolmogorov scale. The time scale requir-
ed for a chemical concentration field that is initially
on the energy input scale (i.e., large scale) to be geometri-
cally deformed until molecular diffusion is important
may be estimated by assuming that ðL=UÞðl=LÞ2=3
is roughly the time required to reduce the scale from l
to l=2. Summing the times needed to reduce the
scale from L to ln gives a convergent geometric series
whose sum is estimated by L=U multiplied by some
moderate factorwhich is independent of n andhencek,
if these are small. The time scale required for homo-
genization on the molecular scale is therefore of the
same order of magnitude as the time required for

advection around the turbulent region on the large
scale. Thus, the time scale for mixing within a region
containing three-dimensionally turbulent flow is the
sameorder ofmagnitude as the time scale for transport
across that region. The implication is that the three-
dimensional turbulence is very effective at mixing and
that, to some reasonable approximation, if there is
time for transport of air parcels across a turbulent
region then there is also time for mixing within that
region.

Mixing in three-dimensionally turbulent flows has
been much studied in the laboratory and is of great
practical significance because of its relation to the
dispersion of pollutants in the atmospheric boundary
layer. Research has focused on considering the mixing
problem via the problem of relative dispersion, and
stochastic models have carefully been formulated and
refined to describe this relative dispersion process.

Large-Scale Flows:
Quasi-Two-Dimensional Turbulence
and Chaotic Advection

Rotation and buoyancy stratification both tend to
inhibit three-dimensional turbulence on sufficiently
large scales. On scales larger than a few tens of
kilometers, transport is accomplished by frontal sys-
tems, cyclones and anticyclones and, in the strato-
sphere, propagating and breaking planetary-scale
Rossby waves. The stable stratification and geometric
constraints ensure that air parcel trajectories are
along weakly sloping surfaces, so that horizontal
displacements are generally much larger than vertical
displacements.

These flowshave adual character,with someaspects
of their behavior appearing organized and wavelike
and other aspects exhibiting considerable nonlinearity
and randomness. In the latter respect these flowsmight
therefore be regarded as a kind of turbulence, analo-
gous to the two-dimensional turbulence studied in
idealized numerical simulations and laboratory ex-
periments. However, the strong difference of these
flows from three-dimensional turbulence is that strong
vortex stretching is inhibited and therefore the cascade
of energy to small scales is inhibited. The velocity field
has a finite spatial scale and hence there is no strong
increase of velocity gradients as scale shrinks.

It is now realized that flows such as these, with a
relatively simple structure in space and time, may be
highly effective at stirring and mixing through a
phenomenon known as ‘chaotic advection’. The idea
here is that velocity fields with a very simple structure
in space and time may lead to complex and irregular
(i.e., chaotic) particle trajectories, with, for example,
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the distance between initially nearby particles increas-
ing exponentially in time. As explained above, this
separation of nearby particles implies that chemical
concentration fields rapidly become complex, with
variations on scales much smaller than that of the
advecting flow.

In large-scale chaotic-advection-type flows the
magnitude of velocity gradients is constant with scale
and may be estimated as L=U, where L is a typical
length scale and U a typical velocity magnitude of the
large-scale flow. In this case, diffusive mixing takes
place on a length scale of ðkL=UÞ1=2. The time to reach
this scale from the large scale is ðL=UÞ logðUL=kÞ1=2,
i.e., considerably larger than the time scale for
transport by the large-scale flow. The implication is
that in these flows advected chemical species may be
spread across the flow domain on the large scale, but
for a substantial time may remain unmixed on the
small scale (in contrast to the case in three-dimensional
turbulence). Furthermore, the fact that the velocity
field itself varies only weakly on the scale ðkL=UÞ1=2
suggests that the chemical concentration fields tend to
be aligned in smooth (but thin) filaments or sheets.
Such filaments or sheets of anomalous chemical
species, that have not yet been mixed with their
environment, are widely observed in the atmosphere.

Mixing Processes in the Real
Atmosphere

In the real atmosphere three-dimensional turbulence is
inevitably affected by the presence of stable density
stratificationwhich implies that energy input is needed
to move fluid particles in the vertical. Broadly speak-
ing, the effect of the stratification is to limit the vertical
length scales of the turbulence and hence the vertical
length scales over which mixing can occur. The
dynamics of the mixing also tends to lead to the
formation of interfaces at the upper or lower limits of
the turbulent regions across which there are strong
density gradients. The stability of these interfaces
implies that mixing across them occurs relatively
infrequently, often through complex phenomena such
as the breaking of waves propagating on the interfaces
themselves.

For the planetary boundary layer, the role of stable
stratification is to limit the height of the turbulent
layer.The strong stable stratificationoften foundat the
top of the boundary layer has an important effect on
exchange between the turbulent boundary layer and
the free atmosphere above it. But when considering
transportwithin the boundary layer, stratificationmay
often be neglected.

In the ‘free’ atmosphere above the boundary layer
there is certainly no permanent ‘background’ field of
three-dimensional turbulence. In the troposphere
convection gives rise to turbulence, but the fraction
of the atmosphere that is actively convecting at any
instant is relatively small. In the upper troposphere
and stratosphere there is little or no convection, but
localized regions of turbulence arise through shear
instability or through breaking of inertia-gravity
waves. These turbulent regions form sporadically,
mix in a localized region, and then decay. Thus,
outside the planetary boundary layer, turbulent mix-
ing occurs through the net effect of localized, inter-
mittent turbulent events.

The route by which air masses with different
chemical characteristics are mixed in the free atmos-
phere is therefore as follows. Long-range transport
and stirring on the large scale is accomplished by
quasi-horizontal motion which draws chemical fields
out into filaments or sheets. If there was no three-
dimensional turbulence, then mixing would even-
tually be achieved by molecular diffusion alone, but
this mixing would occur at very small scales. In
practice, the effects ofmolecular diffusion are likely to
be enhanced through intermittent encounters of air
parcels with three-dimensional turbulence. This en-
hancement might be substantial in the troposphere,
where convection is common, is likely to be much
weaker in the lower stratosphere, and then to increase
again in the upper stratosphere and mesosphere,
where three-dimensional turbulence associated with
the breaking of gravity waves is more widespread.

See also

Boundary Layers: Overview. Clear Air Turbulence.
Kelvin–Helmholtz Instability. Lee Waves and Moun-
tain Waves. Parameterization of Physical Process-
es:Turbulence andMixing.Stratosphere–Troposphere
Exchange: Global Aspects. Turbulence, Two Dimen-
sional. Turbulent Diffusion.
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Introduction

Historical interest in two-dimensional (2D) turbu-
lence in the atmospheric and oceanic sciences stems
from the fact that the equation describing the conser-
vation of potential vorticity in a thin layer of fluid on a
rotating sphere (based on the shallow-water equa-
tions) reduces to the much simpler equations for
a 2D incompressible fluid (the Navier–Stokes equa-
tions) when the characteristic horizontal length
scale, L, is small enough such that the flow does not
feel the effect of the Earth’s sphericity and yet large
enough such that the quasi-geostrophic approxima-
tion is valid. In this case, the governing equations
reduce to

qz
qt

þ u 	 rz ¼ nr2zþ F; r 	 u ¼ 0 ½1�

where z ¼ k̂k 	 r�u is the vertical vorticity, u is the
velocity, k̂k is the unit vector normal to the flow plane,
andF represents an unspecified vorticity forcing. In the
limit where the Reynolds number, Re ¼ UL=n (U is a
characteristic velocity), is large, the behavior is often
highly nonlinear and turbulent. Although the range of
length scales over which this is a good approximation
to geophysical fluid flow is at most a factor of 10–100,
eqn [1] has been used as a simple conceptual model.
This is partially justified by the fact that, even though
large-scale atmospheric flow is not exactly 2D, this is
the simplest setting in which to explore the nature of
large nonlinearity. In addition, the strong stratification
in the atmosphere inhibits vertical velocity, yielding
approximately layerwise 2D flow. Since analytical
techniques are lacking, laboratory experimentation
andnumerical simulationhaveprovided a large part of
our understanding today. Clearly, a much wider range
of active length scales can be simulated in 2D than
in 3D.

Cascade phenomenologies

Theoretical approaches to turbulence have tradition-
ally been based on the fact that, no matter how
nonlinearly complicated the flow is, in the absence of
forcing and molecular viscosity, it must conserve its
full set of invariants, such as energy. 2D turbulence is
distinguished from its 3D counterpart by the lack of

vortex tube stretching, implying that the vorticity is
conserved by each fluid parcel. A distinguished role in
2D turbulence theory is played by the mean-square
vorticity or enstrophy, Z ¼ 1

2 hz2i, where angle brack-
ets are averages over a statistical ensemble of such
flows. Simultaneous conservation of enstrophy and
energy, E ¼ 1

2 hu 	 ui, yield turbulent behavior in
2D fluids which is quite different from that in 3D.
This is best illustrated by expressing the fields in
terms of their Fourier coefficients. If we consider
flow in a doubly periodic domain of length L and
then take the limit L ! 1, we can describe turbu-
lence that is statistically homogeneous, meaning
that statistics do not depend on the position at which
they are measured. In such a domain, a field z can be
expressed as

zðr; tÞ ¼
X
k

ẑzkðtÞ eik	r ½2�

where r ¼ ðx; yÞ is the position vector and k ¼ ðkx; kyÞ
is the wave vector. The enstrophy is

Z ¼ 1

2

X
k

hẑzkðtÞẑz
n

kðtÞi ½3�

where n denotes complex conjugation. After taking
the limit L ! 1, the sums can be expressed as
integrals. The 2D wave vector integration can be
performed using polar coordinates k ¼ ðk2x þ k2yÞ1=2
and yk ¼ tan�1 ky=kx. Since eqn [1] is statistically
isotropic, the integration in yk simply gives 2pk,
yielding the enstrophy as

Z ¼
Z

ZðkÞ dk ½4�

where the enstrophy spectrum isZðkÞ ¼ pkhẑzkẑz
n

ki. The
same operations on the velocity field yield

E ¼
Z

EðkÞ dk ½5�

where the energy spectrum is EðkÞ ¼ pkhûuk 	 ûun

ki and,
owing to the relationship between vorticity and
velocity, ZðkÞ ¼ k2EðkÞ.

Consider a set of initial conditions characterized by
a thin energy spectrum localized near some interme-
diatewavenumber ki. If the initial spectral distribution
is thin enough, we can quantify ki by using the first
moment of EðkÞ, i.e.,

ki ¼
R
kEðkÞ dkR
EðkÞ dk ½6�
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How will the energy spectrum evolve in time? One of
the fundamental characteristics of turbulence is that it
mixes the fluid. Avery thin energy spectrum, implying
that only a narrow range of scales is excited, is a rather
ordered low-entropy state. As the nonlinear term
spreads the energy around from mode to mode in the
complex vortex interactions discussed below, we
expect that the width, W, of the energy spectrum
will increase. Defining W via

W2 ¼
R ðk� kiÞ2EðkÞ dkR

EðkÞdk ½7�

we require that dW2=dt > 0, implying

dW2

dt
¼ � dk2i

dt
> 0 ½8�

taking into account the invariance of the energy and
enstrophy along with the definition of ki. If the width
of the initial energy spectrum increases, then the
characteristic wavenumber, ki, must decrease. In other
words, the typical length scale of the eddy motions
must increase with time. This is in marked contrast to
3D turbulence where the transfer is to eddies of ever-
diminishing size.

At the same time as energy is transferred to larger
scales, the enstrophy is transferred to smaller scales.
This can be illustrated by the fact that each fluid parcel
conserves its vorticity, implying that as turbulence
mixes the fluid, vorticity contours are stretched out
into ever-longer curves (see Figure 2). This has the
consequence of reducing mean distances between
contours, thereby increasing gradients. The variance
of vorticity gradients can be expressed as

R
k2ZðkÞ dk.

If the enstrophy (
R
ZðkÞ dk) is constant, but vorticity

gradients increase, vorticity must be transferred to
larger wavenumbers or smaller scales.

The notion that energy is transferred to larger scales
while enstrophy is transferred to smaller scales in 2D
turbulence led to the fomulation of cascade phenom-
enologies analogous to that of Kolmogorov for 3D
flow. A major difference between the 3D and 2D
phenomenologies is that an a posteriori analysis shows
the 2D result to be inconsistent with one of the
hypotheses. This will be discussed further below.
Assume that energy is injected by external forcing at a
rate e and also that this forcing is active only over a
narrow range of wavenumbers centered on kf. The
forcing also injects enstrophy at a rate Z � k2f e.We also
assume that there is a long ‘inertial’ range of wave-
numbers where neither the forcing nor the dissipation
are important. This can only be true if the nonlinear
transfer is local in k. In other words, it must proceed
via numerous small jumps inwavenumber. In each step
of the process some information on the nature of the

forcing is lost, such that eventually at intermediate
wavenumbers the result is independent of the forcing.
In order to achieve statistical stationarity, the enstro-
phy injection at kf at rate Z must be balanced by its
dissipation at small scales at the same rate. It therefore
follows that there is a constant downscale flux Z of
enstrophy across the entire inertial range. Dimension-
al analysis then yields the energy spectrum

Z ¼ const � enstrophyðkÞ
timeðkÞ � k3EðkÞ

½k3EðkÞ��1=2
½9�

where the quantity timeðkÞ refers to the time scale
of enstrophy transfer at k. Here it was assumed
that the enstrophy near wavenumber k is kZðkÞ
and that time ðkÞ � LðkÞ=UðkÞ � ½k3EðkÞ��1=2, since
UðkÞ � ½kEðkÞ�1=2 and LðkÞ � k�1. These relations
assume the transfer to be local, i.e., the transfer into k
comes fromothermodes neark, such that all quantities
are evaluated locally. Solving for EðkÞ gives

EðkÞ � Z2=3k�3 ½10�
for the energy spectrum in the downscale (or direct)
enstrophy cascade range. As mentioned above, an a
posteriori analysis of this theoretical spectrum reveals
the nonlinear transfer in the inertial range to be
nonlocal. In other words, instead of the enstrophy
transfer proceeding by numerous small jumps in
length scale, as required if the intermediate scales’
dynamics are independent of F, the transfer takes
rather larger jumps. In the upscale energy cascade
range, the reasoning is as for Kolmogorov and

EðkÞ � e2=3k�5=3 ½11�
Strictly speaking, a mechanism is required to dissipate
energy at scales much larger than the forcing scale
in order for eqn [11] to reach the statistical stationar-
ity assumed here. One physical possibility is the
scale-independent dissipation inherent in the Ekman
layer, provided that it is negligible over the inertial
range. Both cascade ranges are shown schematically in
Figure 1.

Numerical simulations

As stated above, 2D turbulence is less computationally
intensive than its 3D counterpart. In the early 1970s
numerical simulations began to be possible at low Re.
They showed energy spectra consistently steeper than
the k�3 prediction in the enstrophy cascade. By 1981 it
was clear that a major surprise of these simulations
was the development of intermittency in the vorticity
field. Typically decaying (i.e., F ¼ 0) turbulence was
simulated starting from a random initial field with
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Gaussian statistics. Theory also predicts the energy
spectrum [10] for the decay case. Thenumerical results
showed that like-signed extrema had a tendency to
merge and form larger vortices. In addition, close
approaches of vortices stretched out long vorticity
filaments whose width decreased until the dissipation
scale was reached. The net result of these complicated
vortex interactions is the growth of relatively large
quiescent regions between a diminishing number of
intense vortices. A typical snapshot of a simulation
vorticity field is displayed in Figure 2. During the
1980s and 1990s, resolutions continued to increase
and it became clear that the spectra were steeper than
the k�3 prediction and that if (by some numerical trick

such as scrambling the complex phases of the ẑzk) the
intermittency was reduced, the evolution was more
consistent with the k�3 phenomenology.

It must be stated that any inertial range argument
assumes a sufficiently large range of wavenumbers
such that forcing and dissipation are negligible.
Unfortunately, it is not entirely clear how large this
range must be for the approximation to be valid. It
may be that resolutions much larger than those
currently used (40962) are required. If this is the
case, the relevence to atmospheric and oceanic dy-
namics is not obvious. It may also be that the
nonlocalness of enstrophy transfer is responsible for
the failure of eqn [10], although a theoretical attempt
to account for this yields a spectrum (with a logarith-
mic correction factor) not much different from eqn
[10], whereas the simulation spectra are considerably
steeper.

In addition to simulations of decaying turbulence,
high-resolution simulations of forced turbulence have
been performed. They also tend to show spectra
steeper than k�3 in the enstrophy cascade range aswell
as a dependence on the nature of the forcing mecha-
nism throughout the resolved range, indicating thatwe
have not yet achieved the resolutions required for
universal (forcing-independent) behavior. Simulations
of the enstrophy cascade are performed by forcing at a
low wavenumber, whereas simulations of the inverse
energy cascade result when kf is larger. The latter have
generally shown reasonable agreement with eqn [11],
although this is not the case in all studies.

Vortex dynamics

Current numerical and theoretical research on this
subject focuses almost entirely on the vortices and
their dynamics. The cascade phenomenologies dis-
cussed above are crude examples of statistical theories
where the flow variables are assumed to be independ-
ent random oscillators weakly coupled by their con-
tribution to the global invariants. More sophisticated
theories based on this idea also fail in the presence of
intermittent vortices. The reason is presumably that
the Fourier transform of a thin isolated peak in x
covers awide range in k. As a result, the Fouriermodes
are not weakly coupled but rather describe long-lived
structures moving around in space. This has caused
some to advocate abandoning the traditional Fourier
approach.

The intermittency of the vorticity in simulations of
decaying 2D turbulance suggests that a model based
on a collection of point vortices might be a good
approximation. A vortex which persists much longer
than the time it takes a fluid parcel to circle around its

log E(k)
� 2/3 k _5/3

� 2/3 k _
3

� �

k f log k

Figure 1 Energy spectrum of 2D turbulence at statistical

stationarity showing the direct enstrophy cascade and the inverse

energy cascade.

Figure2 Vorticity field in a high-resolution simulation of decaying

2D turbulence from random initial conditions.
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center must be an essentially nondissipative structure.
As a result, a Hamiltonian formulation has been
employed and compared favorably with full simula-
tions of eqn [1]. Ballistics theory, in which the vortices
behave much like billiard balls, has also been applied.
Unfortunately, these theories are not a natural setting
to describe the observed mergers of like-signed vorti-
ces which lead to the growth of the characteristic
length scale. Merger rules must be formulated and
inserted into the theories by appealing to comparison
with experiment or numerical simulation. The extent
to which these empirically derived rules are independ-
ent of suchdetails as the initial conditions is currently a
matter of debate.

Since merger rules form an intrinsic part of discrete
vortex theories, recent attention has been directed at
the vortex interactions themselves. It has long been
observed that the most intense vortices at the end of a
long simulation can be traced all the way back to the
initial conditions, where they were undistinguished
extrema in a field with Gaussian statistics. Since the
viscous term in eqn [1] can only diffuse vorticity down
vorticity gradients, and since the other terms ensure
conservation of vorticity by each fluid parcel, the
central vorticity in a vortex can only decrease with
time. The most intense vortices in the later stages are
therefore those having decayed the least and those
having sustained the least damage in their interactions
with other vortices. A closer look at these interactions
shows that, while some vortices do not survive, those
that do are rendered steeper by the interactions. That is
to say, the vorticity becomes more uniform in the
center while the vorticity gradient is increased at the
edges. This process has been called vortex erosion or
stripping and it leads to a rather robust central value of
vorticity which changes little with time.

Perhaps the first step in formulating vortex merger
rules is to determine the statistics of the decay of r,
the total number of vortices per unit area in decay-
ing 2D turbulence. Numerical evaluations of this
quantity differ from simulation to simulation as
a function of the Reynolds number and the initial
conditions. An interesting idea proposed to analyze
a simulation with a narrow range of vortex ampli-
tudes, zext, and radii, a. The total energy can be
estimated dimensionally as

E � ra4z2ext ½12�
and the enstrophy is

Z � ra2z2ext ½13�
Since energy is transferred to larger scales and is
therefore not dissipated significantly, E is held fixed.
Based on the observed tendencies for the most intense

vortices’ central vorticities to be robust to interactions,
zext is held constant too. Assuming r to decay as a
power of time, r � t�x, the other statistics follow as
a � tx=4 and Z � t�x=2. The simulation discussed here
gave x � 0:75. While these temporal scaling relations
are based on the measured value of rðtÞ, they also
provided good estimates of the simulation aðtÞ and
ZðtÞ. How well they apply when vortex properties are
not narrowly distributed is still a matter of debate.

Vortex theories take no account of the low-ampli-
tude vorticity filaments which can always be observed
between the intense coherent structures. This back-
ground ‘sea’ of vorticity clearly interacts with the
vortices in that they emerge from it at small times.
Their close interactions have also been observed to
stretch out weak filaments which then decay into the
background sea. It remains to be seen how dynami-
cally important the sea is to the evolution of the
turbulence. A schematic of the vorticity’s probability
density function for decaying 2D turbulence is shown
in Figure 3. If the probability of finding a vorticity
between z and zþ dz is denoted as pðzÞ dz, then a self-
similar behavior has been observed in decaying 2D
turbulence such that

pðzÞ � t f ðztÞ ½14�

except at large jzjt, where the curve drops quickly to
zero owing to the fact that the largest vorticities in the
field are relatively constant in time. In eqn [14] f is a
universal dimensionless function. Figure 3 shows that
for low vorticities (jzjtoxn � 70) the probability
density drops off rapidly with increasing z. The
weak background sea of vorticity filaments is
described by this range. When xnojzjtoxm the

log [p (�)/t ]

log |�|t
x* xm

_
1.4

Figure 3 Schematic of the scaled vorticity probability density

function. The dashed line represents the universal function, f (see

text), while the solid lines denote the probability at several times

such that the hyperbolic range widens with time.
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probability density decays as

pðzÞ � t

ðjzjtÞ1:4 ½15�

This is referred to as a hyperbolic distribution and it
describes fields which are very intermittent indeed,
corresponding to the isolated coherent vortices. At
jzjt > xmðtÞ the probability drops rapidly to zero. If
extreme vorticities are conserved as in the simple
scaling above, then xmðtÞ � t and the probability
density provides a more standard statistical definition
of the quantity zext. How xmðtÞ behaves with time and
as a function of the Reynolds number needs further
investigation and is essentially a function of the vortex
dynamics. The self-similar decay of vorticity shows
an increasingly wide hyperbolic vortex range and a
diminishing background sea as time proceeds.

Conclusions

Over the last 30 years numerical simulations of 2D
turbulence have surprised researchers a great deal. The
failure of the classical cascade phenomenologies and
its attribution to the development of isolated coherent
vortices has been the subject of much attention in the
scientific literature. Clearly, a lot has been learned
from the study of this simplest of models of a highly
nonlinear turbulent fluid.

It was stated in the introduction that one of the
reasons 2D turbulence has sparked such interest in the
scientific community is that it was possible to test out
at least some of the ideas numerically on even the
relatively primitive computers of the early 1970s.
Since then, the history of the subject parallels that of
computational science. In spite of the fact that current
computers allow scientists tomove on tomore realistic
atmospheric and oceanic flows, many of the surprising
elements of early simulations of 2D turbulence are still
unexplained. The development of isolated vortices in
the decay case is still somewhat mysterious and there
exists no theory to describe their interactions once they
have developed. There is still a lot more work to be
done.

See also

Turbulence and Mixing. Vorticity.
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Introduction

Turbulent diffusion or, more correctly, turbulent
dispersion, addresses the problem of estimating the
concentration field in a turbulent flow. Our ignorance
of the details of the turbulent velocity field translates
into uncertainty in estimating the details of the
concentration field. Thus, as in other problems related
to turbulence, the goal of turbulent dispersion is
limited to understanding the ensemble-averaged sta-
tistics of the concentration field and the associated
fluxes that govern the field.

Most of our understanding of turbulent dispersion
is couched in terms of semiempirical models, which

have been developed by fitting tentative theories to
observations. For example, models for dispersion in
the surface boundary layer are based on tracer
experiments conducted in Prairie Grass, Nebraska,
USA, in the 1950s. The development of models for
dispersion in the convective boundary layer has been
guided by laboratory experiments conducted byWillis
and Deardorff in the 1970s. Thus, to a large extent,
our understanding of turbulent dispersion consists of a
patchwork of semiempirical models, each of which
describes a limited set of observations. The primary
goal of this article is to provide the reader an
understanding of these semiempirical models. It is
only over the past 10 years that attempts have been
made to developmethods that can be applied to a large
class of problems. These methods will be discussed in
the last part of this article.

This article assumes that the reader is familiar with
the fundamentals of turbulence in the atmospheric
boundary layer. To keep this article to a manageable
size, we will not deal with several important topics
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including the effects of turbulence on chemical
reactions. We begin with the statement of the
problem that the techniques of turbulent dispersion
attempt to solve.

The Problem of Turbulent Dispersion

The evolution of the concentration field of a species is
governed by the mass conservation equation, eqn [1],
where the ‘squiggle’ overbar refers to the instantane-
ous field, and D is the molecular diffusivity of the
chemical species in the fluid.

q~CC
qt

þ q
qxi

~UUi
~CC

� �
¼ D

q2 ~CC
qxiqxi

½1�

Because the instantaneous velocity field is unknown,
we have to limit ourselves to estimating the ensemble-
averaged mean and the associated statistics of the
concentration field.

To define an ensemble, we express the instan-
taneous velocity field as the sum of a known velocity
field, Ui, and the unknown deviation, ui, as in
eqn [2].

~UUi ¼ Ui þ ui ½2�
Then, an ensemble is defined as the infinite set of
possible concentrations corresponding to a given Ui.
Note that the definition of an ensemble is arbitrary
because it depends on what we know about the
velocity field. Each member of this ensemble corre-
sponds to the component of the unknown velocity

field, ui; we assume that we know something about
the statistics of this unknown field. The concentra-
tion associated with each member of the ensemble
can be written as eqn [3], where C is the average
obtained over all possible concentration fields in the
ensemble.

~CC ¼ Cþ c ½3�
Substituting eqn [3] into eqn [1] and averaging
over the ensemble yields eqn [4], where the overbar
refers to the ensemble average, the subscripted
index refers to coordinate direction, and repeated
indices imply summation. This equation can be
solved only by modeling the turbulent flux term,
uic, using known properties of the velocity field.
Before we take up models for this term, let us
consider the problem in turbulent dispersion that
has to a large extent motivated the development
of the field.

qC
qt

þ q
qxi

ðUiCþ uicÞ ¼ D
q2C
qxiqxi

½4�

The Point Source in the Atmospheric
Boundary Layer

The classical problem of turbulent dispersion in the
atmospheric boundary is that of a continuous source
emittingmaterial at some height above the ground (see
Figure 1). If the ground is taken to be the reference
height, with the x-axis of the coordinate system
aligned along the wind direction at the source,

Concentration
distribution

is assumed to
be Gaussian in

x and y directions

�z �y

z

y

x

hs

U

Plume

Figure 1 Turbulent dispersion from a point source.
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empirical evidence indicates that the time-averaged
(typically 1 h) concentration field can be described in
terms of the Gaussian distribution by eqn [5], where y
is the crosswind coordinate, Q is the source strength
(mass/time), hs is the height of the source above
ground, U is the time-averaged wind speed at source
height, and sy and sz are the plume spreads corre-
sponding to the Gaussian distribution.

Cðx; y; zÞ ¼ Q

2psyszU
exp �ðz� hsÞ2

2s2z
� y2

2s2y

" #
½5�

The effect of the ground on concentrations is account-
ed for by making sure that there is no flux of material
through the plane at z ¼ 0. The mathematical trick to
achieve this is to place an ‘image’ source at a distance
z ¼ �hs; the upward flux from this image source
essentially cancels out the downward flux from the
real source. Then the concentration can be described
by eqn [6].

Cðx; y; zÞ ¼ Q

2psyszU
exp � y2

2s2y

" #

� exp �ðz� hsÞ2
2s2z

" #
þ exp �ðzþ hsÞ2

2s2z

" #( )
½6�

In the real atmosphere, dispersion in the upward
direction is limited by the height of the atmospheric
boundary layer. This limitation of vertical mixing is
incorporated into the Gaussian formulation by re-
flecting off the top of the mixed layer. When the
material is ‘reflected’ from both the ground as well as
the top of themixed layer, it is necessary to account for
the infinite set of ‘reflections’ from the two surfaces.
This can be readily accounted for in the Gaussian
formulation.

The point source solution is the kernel for the
integral that is used to estimate dispersion from a
variety of sources, including line and volume sources.
Most dispersion models that apply to spatial scales of
tens of kilometers are based on eqns [5] and [6]. The
plume spreads or s values are empirically derived
from observations. It turns out that we continue to
use plume-spread formulations first recommended
by Pasquill in the 1960s. These formulations,
largely based on the Prairie Grass experiment,
relate plume spread to surface meteorological
measurements such as wind speed and cloud cover.
The advances in micrometereology during the
1970s provided the incentive to develop dispersion
models that relied on theoretical understanding of
dispersion.

The preceding expression for the concentration field
is essentially an empirical description of observations.

Equation [5] is a formal solution to the point source
problem only when the turbulence field is homogene-
ous, and the velocity distribution is Gaussian. Under
these circumstances, the concentration field can be
analyzed using a statistical approach, first proposed by
Taylor.

Statistical Analysis of Dispersion

Consider a source located at ‘s’ emitting particles
continuously into a turbulent flow. If the mean flow
and turbulence are steady, the ensemble averaged
concentration at ‘r’, CðrÞ can be shown to be

CðrÞ ¼ Q

Z 1

0

pðrjs; tÞ dt ½7�

where Q is the mass emission rate of particles, and
pðrjs; tÞ dV is the probability that a particle released at
‘s’ will be found in a volume dV surrounding ‘r’ after a
travel time t from release. Then, the problem of
calculating the concentration reduces to estimating the
probability density function, pðrjs; tÞ, of particle po-
sitions as a function of travel time from the source. A
good approximation for this function is the Gaussian
distribution. Placing the origin of our co-ordinate
system at the source,we can express the distribution as

pðrjs; tÞ ¼ 1

ð2pÞ3=2sxsysz

� exp � 1

2

ðxr � �xxÞ2
s2x

þ ðyr � �yyÞ2
s2y

þ ðzr � �zzÞ2
s2z

 ! !

½8�

where sx, sy, and sz are the standard deviations of
particle positions about their mean positions �xx, �yy, and
�zz after a travel time, t, from release, and xr, yr, and zr
are the receptor co-ordinates. These statistics are
derived by averaging over an infinite number of
particles for a flow with fixed mean and turbulent
characteristics; the statistics are functions of travel
time, t.

The probability distribution function, eqn [8],
represents an ensemble average over all possible
particle positions for a fixed travel time from the
source; the travel time is the difference between the
arbitrary time atwhich the particle is released and time
at which the particle is observed at a location. In
principle, it can be constructed experimentally by
releasing particles serially from a source, and record-
ing the co-ordinates of these particles at specified
travel times. Thus, eqn [8] does not describe the
distribution of particle positionswithin a ‘puff’, which
usually describes an entity at an instant of time.
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To make progress, we need expressions for sx;sy,
and sz. While the mean particle positions are deter-
mined by the mean flow, the standard deviations
depend on the characteristics of the turbulent flow.
Taylor derived expressions for the variance of particle
positions as a function of travel time from a fixed
release point in a steady flow in which turbulent
statistics do not depend on location. His expressions
for the asymptotic behavior of plume spread are

sy ¼ svt for t � TLv

sy ¼ svð2tTLvÞ1=2 for t � TLv ½9�

where TLv is the Lagrangian time scale, which can
formally defined in terms of the statistics of the
turbulent flow. For our purposes, it is sufficient
to interpret the time scale as roughly the time
over which a particle retains its initial velocity. For
small travel times, a particle’s velocity remains
essentially unchanged from its value at the release
point, and the particle trajectory is a straight line.
This explains the result that, for small travel times,
the spread of particles is proportional to the travel
time from the source (eqn [9]). On the other hand,
when the travel time is large compared to the
Lagrangian time scale, the plume spread is propor-
tional to the product of the ‘average’ step size, svTLv,
and the square root of the number of steps, t=TLv,
taken by the particle.

In order to obtain an expression for the concentra-
tion, we still have to integrate eqn [7] after inserting
eqn [8] with appropriate expressions for plume
spread. Let us first consider an idealized flow that is
used tomodel dispersion in the atmospheric boundary
layer. In this flow, themeanwindU is along the x-axis,
and the turbulence is homogeneous and stationary.
These assumptions lead to

�xx ¼ Ut; �yy ¼ 0; and �zz ¼ 0 ½10�
If we make the assumption that along-wind disper-
sion, sx, is small compared to transport by the
mean wind, the exponential term in eqn [8], associ-
ated with downwind dispersion, becomes a Dirac
delta function in the limit of sx going to zero. This
allows us to integrate eqn (7) for arbitrary sy and sz to
obtain

CðrÞ ¼ Q

2psyszU
exp � 1

2

y2

s2y
þ z2

s2z

 ! !
½11�

where the plume spreads are evaluated at t ¼ xr=U.
This equation is identical to the empirical expression
presented earlier. We can obtain an expression for the
concentration even when downwind dispersion is not

small if we can express plume spreads in terms of the
asymptotic limits of eqn [9].

Observations of plume spread from elevated releas-
es are often summarized in the form

sy ¼ svt

ð1þ t=2TLvÞ1=2
½12�

to ensure consistency with theory of eqn [9]. For
ground-level releases, there is no simple way of
relating travel time to distance because the velocity
varies rapidly with height near the ground. Under
these circumstances, we need to use methods that are
discussed next.

Dispersion in an Inhomogeneous
Boundary Layer

The theory presented thus far applies to a boundary
layer in which the mean and turbulent properties are
constant in space and time. To apply it to a real
boundary layer in which the properties are highly
inhomogeneous, we can use one of two approaches.
The first is to average the turbulence and mean
properties over the region of interest, and use the
average properties in the (homogeneous) formulations
discussed earlier. This is the most straightforward
approach, except that the averaging procedure is
necessarily arbitrary. The validity of the method needs
to be established by comparing the results obtained
from the formulations with observations or theory
that accounts for inhomogeneity more explicitly. In
general, empirical knowledge derived from observa-
tions plays a major role in the development of
practical models of dispersion. As in most turbulence
research, theory can suggest plausible forms for a
dispersion model, but the model almost always con-
tains parameters that have to be estimated from
observations.

Even if we could treat the boundary layer as
vertically homogeneous, the presence of boundaries,
such as the ground and the top of the mixed layer,
makes it difficult to estimate the Lagrangian time
scale, TLv, from a priori considerations. Thus, the
time-scale is often treated as an empirical parameter
that is derived by fitting eqn [12] to observations.
Alternatively, we can postulate an expression for TLv

in terms of a known length scale l as shown in eqn [13].

TLv ¼ al=sv ½13�
The parameter a has to be obtained by fitting estimates
of plume spread to observations. In unstable condi-
tions, l, usually scales with the depth of the boundary
layer, while in stable conditions, the relevant length
scale is taken to besw=N, whereN is the Brunt-Vaisala
frequency.
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The second approach to accounting for inhomoge-
neity in the boundary layer is based on the solution
of the species conservation equation. Let us examine
this approach in some detail because it yields
useful results for dispersion in the surface boundary
layer.

Solving the Species Conservation
Equation

The species conservation equation (eqn [4]) can be
rewritten as eqn [14].

qC
qt

þ q
qxi

ðUiCÞ ¼ q
qxi

ð�uicÞ þD
q2C
qxiqxi

½14�

One way of modeling the turbulent flux term is to
postulate the concept of eddy diffusivity. It is based on
an analogy with molecular diffusion, in which the flux
of material in any direction is proportional to the
gradient of the concentration. For example, the
turbulent flux of species is according to eqn [15],
where Ki is the so-called eddy diffusivity.

turbulent flux ¼ uic ¼ �K�ii

qC
qxi

½15�

where the bar over i negates the summation conven-
tion. This relationship cannot be justified rigorously
for turbulent transport. However, it has heuristic
value, and is useful for developing semiempirical
models of turbulent transport. The use of the eddy
diffusivity in the mass conservation equation is often
referred to as K-theory.

With eqn [15], eqn [14] can be rewritten in the form
of eqn [16],

qC
qt

þ q
qxi

ðUiCÞ ¼ q
qxi

Ki

qC
qxi

� �
½16�

where we have neglected the molecular diffusion term
in comparison to turbulent diffusion.Whilemolecular
diffusion can often be ignored in calculating the
ensemble mean, it plays a major role in determining
the statistics of concentration fluctuations, as we will
see later.

One way of checking whether the use of the eddy
diffusivity is plausible is to see whether eqn [16] yields
solutions that are compatible with observations. We
will apply eqn [16] to the point source problem. If we
assume that transport along themeanwind dominates
over the corresponding diffusion term, and turbulent
properties are homogeneous, eqn [16] can be reduced
to the form given by eqn [17].

U
qC
qx

¼ Kz
q2C
qz2

þ Ky
q2C
qy2

½17�

It turns out that eqn [17] yields the empirical Gaussian
solutionof eqn [5] ifwe ensure that the eddy diffusivity
is related to the plume spread according to eqn [18].

Ki ¼ 1

2
U
ds2i
dxi

½18�

If we take plume spread to follow the behavior
described in eqn [9], we see from eqn [18] that the
eddy diffusivity is proportional to the travel time,x=U,
from the source, for travel times less than the govern-
ing Lagrangian time scale. What this means is that the
eddy diffusivities corresponding to two different
sources displaced along the wind will have different
values at the same location. It is only at large travel
times that eddy diffusivities become independent of
travel time (eqn [19]), where TLv and TLw are the
Lagrangian time scales for the horizontal and vertical
velocity fluctuations, respectively.

Ky ¼ s2vTLv; and Kz ¼ s2wTLw ½19�
The eddy diffusivity, Kz, can be related to turbulent
flow properties by appealing to ‘mixing length’ theory,
which suggests the relationship [20], where sw is the
standard deviationof the vertical velocity fluctuations,
and lz the ‘length scale’ of turbulence for vertical
transport, is defined by eqn [21], which is consistent
with eqn [13].

Kz ¼ swlz ½20�

lz ¼ swTLw ½21�
We are now in a position to make some additional
statements on the applicability of the eddy diffusivity
concept.We saw earlier that eqn [19] is valid when the
travel time is much larger the Lagrangian time scale,
expressed by the relationship [22].

t ¼ x

U
� TLw ½22�

If we combine this condition with the expression for
plume spread, eqn [9], and use eqn [21], we obtain
eqn [23].

sz � lz ½23�
Thus, the eddy diffusivity concept is most applicable
when the scale of concentration variation, sz , is much
larger than the scale of the eddies responsible for
plume spreading.

Equation [20] is useful because we can guess at the
appropriate form of lz, and then see whether the
consequences of our assumption agree with observa-
tions. Over the years, we have developed enough
experience with different types of flows to prescribe
useful forms for themixing length (or eddy diffusivity)
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for these flows. Our initial guesses for K are usually
based on measurement of fluxes and the associated
gradients for a limited set of situations. This K is then
extrapolated to situations different from those used to
derive it. For example, we can derive aK for heat flux,
and find out whether it works for pollutant transport.
It is this type of semiempirical arguments that form the
basis of practical calculations for turbulent flows.

Equation [15] represents only one possible ap-
proach to expressing the turbulent flux. In principle,
we can write conservation equations for the turbulent
fluxes, but these equations contain ‘third-order’ terms,
which are essentially the fluxes of the second-order
terms. These third-order terms have to be parameter-
ized using some sort of flux-gradient approximation.
At this point, there is no compelling evidence to
suggest that these approaches yieldmuch better results
than the closure of eqn [15]. One way of improving
upon a simple prescription of the eddy diffusivity is to
formulate semiempirical conservation equations for
the components of eddy diffusivities: the turbulent
velocity and the length scale in eqn [20]. In practice,
the turbulent velocity is related to the turbulent kinetic
energy, k, and the length scale is related to the
turbulent dissipation rate, e. While the k� e approach
is popular in modeling turbulent flows, it has found
limited application in modeling dispersion.

The eddy diffusivity formulation is almost exclu-
sively used in comprehensive Eulerian air quality
models, which include details of atmospheric process,
such as gas and aqueous phase chemistry. The main
reason is that the species conservation equation,
formulated in terms of the eddy diffusivity, is a
convenient framework to incorporate a number of
processes, including nonlinear chemistry. The result-
ing mass conservation can be solved using numerical
methods. Results from comprehensive air quality
models indicate that modeling dispersion with the
eddy diffusivity model has some practical value, even
though the underlying theoretical justification is
weak.

We saw earlier that the eddy diffusivity concept is
likely to be most applicable when the turbulent length
scales are smaller than or comparable to the concen-
tration space scales. Thus, we might expect it to apply
to dispersion in the surface boundary layer, where
plume spread in the vertical spread is comparable to
the length scale of the eddies responsible for vertical
transport. It turns out that K-theory provides useful
results for dispersion in the surface boundary layer
even though it is characterized by steep gradients in
temperature and velocity. However, the gradients of
fluxes and turbulence levels are negligible. In the
surface boundary layer, semiempirical theories, re-
ferred to as Monin–Obukhov similarity, provide

useful relationships between velocity and temperature
gradients and the corresponding heat and momentum
fluxes. These relationships are cast in terms of length
and velocity scales, which are the surface friction
velocity un and the Monin–Obukhov length, L,
defined by eqns [24],

un ¼
ffiffiffi
t
r

r

L ¼� T0

g

u3
n
rCp

kH0
½24�

where t is the surface shear stress, r is the air density,
Cp is the specific heat of air, T0 is the surface
temperature, k is the Von-Karman constant, g is the
acceleration due to gravity, andH0 is the surface heat
flux. These relationships can be used to derive eddy
diffusivities for heat and momentum.

Using the eddy diffusivity for heat in the mass
conservation equation has provided concentration
estimates that compare well with observations made
in field experiments conducted in Prairie Grass,
Nebraska, in the 1950s. We note that data from this
experiment, conducted with relatively primitive
equipment, is still the most complete for the analysis
of surface layer dispersion.

The solutions of the mass conservation equations,
using the eddy diffusivity, have a number of useful
asymptotic forms for the crosswind integrated concen-
tration, �CCy, as shown by eqn [25], where �xx ¼ x=jLj
�CC ¼ �CCyunjLj=Q, with Q representing the source
strength. These asymptotic forms are useful because
they can be patched together to obtain analytic expres-
sions that span the entire range of stability. Unknown
parameters in these expressions have been obtained by
fitting them to observations from Prairie Grass.

�CC � �xx�1 for neutral conditions

� �xx�2=3 for stable conditions

� �xx�2 for unstable conditions ½25�
These expressions for crosswind integrated concentra-
tions canbe converted toyield centerline concentrations
through eqn [26], where sy is the crosswind spread, and
the crosswind distribution is taken to be Gaussian.

Cðx; y; 0Þ ¼
�CCyffiffiffiffiffiffi
2p

p
sy

exp � y2

2s2y

 !
½26�

Equation [25] can be used to derive expressions for the
vertical plume spread. These expressions depend on
distance from the release location because travel time
has little meaning near the ground. In fact, most
dispersion models used in practical applications
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express the concentration in terms of a Gaussian
distribution, where the plume spreads are empirically
derived functions of source-receptor distance and
micrometeorology.

Puff Dispersion

In the preceding sections,we have discussed dispersion
of plumes, which refers to a continuous release from a
source. Often we are interested in concentrations
associated with puffs of material that are released
almost instantaneously, as in an explosion. The
concentration of material in the plume is determined
by the spread of the material about the center of mass
of the moving puff. The analysis of such puffs is more
complicated than that of plumes because the spread
depends on both space and time correlations between
particles in the puff; as Taylor’s analysis indicates,
plume dispersion can consider the motion of particles
to be independent of each other. These space–time
correlations depend on the properties of the turbulent
eddies that contribute to puff spread at any instant of
time. The length scale of the relevant eddies is roughly
proportional to the size of the puff. Eddies smaller
than this length scale disperse the material within the
puff, while eddies larger than the puff transport the
puff as a whole.

When the puff size is of the order of the
Kolomogorov microscale, the puff spreads by molec-
ular diffusion, which implies that the puff spread, s, is
proportional to the square root of time.When the puff
size is comparable to eddies in the inertial subrange,
dimensional considerations suggest that the rate of
puff spread is represented by [27], where e is the
dissipation rate of turbulent kinetic energy.

ds

dt
� ðesÞ1=3 ½27�

Integration yields expression [28].

s � e1=2t3=2 ½28�
This rapid growth phase ends when the puff size is
comparable to the largest eddy of dimension L. Then,
the puff spread can be written as [29], where sv refers
to the standard deviation of the turbulent velocity
fluctuations in the direction of the spread.

s � ðsvLÞ1=2t1=2 ½29�
These three regimesof puff growth can, in principle, be
patched together to provide a continuous description
of puff spread. But this is rarely done in practice, and
one usually resorts to empirical descriptions of puff
spread. The actual concentration in a puff is usually
estimated with a Gaussian distribution about the puff
center of mass.

The simplest puff model is the Gaussian puff model,
which relates concentration at receptor ðx; y; zÞ
at time t due to a puff released from origin at time 0
by eqn [30],whereQm is the totalmass of the puff and s
is the puff spread corresponding to the Gaussian
distribution.

Cðx; y; z; tÞ

¼ Qm

ð2pÞ3=2s3
exp �ðx�UtÞ2 þ y2 þ z2

2s2

" #
½30�

In practical applications, a continuous release in a
wind field that varies in space and time can bemodeled
through a series of puffs, each of which is allowed to
follow a different trajectory. The concentration at a
receptor at any given time is calculated by summing
the contributions from these puffs. One advantage of
this approach is that it can deal with situations when
the mean wind is calm.

Dispersion of Heavy Particles

The previous discussions implicitly assumed that the
material being dispersed by turbulence has the same
density as air. This assumption is clearly not valid for
aerosol particles, whose densities are typically over 1 g
cm�3. Two effects influence dispersion of such parti-
cles. One is related to the finite time required by the
particle to respond to turbulent velocity fluctuations.
The other is the so-called trajectory crossing effect
related to particle trajectories being different from
fluid parcel trajectories because of gravitational set-
tling. Let us consider each of these effects.

The particle inertia effect is related to the difference
between the fluid velocity, uf, and the particle velocity,
up, whose difference is proportional to the reaction
time to turbulent velocity fluctuations. This can be
expressed symbolically by [31], where the relaxation
time scale of the particle is given by [32].

ðuf � upÞ
uf

� tparticle
tturbulence

½31�

tparticle �
ws

g
½32�

Here ws is the gravitational settling velocity, which
is a function of the size and density of the particle
and the viscosity of the fluid. The turbulence time
scale can be expressed as [33], where l is a measure
of eddy size, and sw is the associated velocity
fluctuation.

tturbulence �
l

sw
½33�
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Thus, inertia effects can be neglected if the ratio of
these two scales is small (see [34]).

wssw
gl

� 1 ½34�

If we take small to mean 0.1, and consider 100 mm
particles with settling velocities of the order of
1m s� 1, and take the turbulent velocity to be 1m s�1,
the inertia effect is not likely to be important for
length scales greater than 1m.However, it could play a
role in the dispersion of large particles under very
stable conditions, close to the ground.

The trajectory crossing effect can be examined by
considering the extreme casewhen the time taken for a
falling particle to traverse an eddy is much smaller
than the Lagrangian time scale for vertical dispersion.
Then, the effective Lagrangian time scale becomes this
traversal time because it corresponds roughly to the
decorrelation time. The effective Lagrangian time
scale and the associated eddy diffusivity for the heavy
particle can now be represented by eqn [35].

tLeff ¼
l

ws

and ½35�
Keff ¼

s2wl
ws

Figure 2 shows the time scales that govern dispersion
of heavy particles. In practice, the effects of particle
settling are not important in determiningplume spread
because settling velocities for most particles are
generally much smaller than turbulent velocities.
However, even particle velocities of the order of a
few centimeters per second lead to mean downward
motion of the plume, and hence increase concentra-
tions at ground level. This effect can be described
approximately by ‘tilting’ the plume towards the
ground, represented by eqn [36].

hs ðwith particlesÞ ¼ hs �wsx

U
½36�

Alternatively, the entire concentration profile can be
moved ‘into’ the ground by a distance wsx=U after
computing the concentration corresponding to passive
dispersion. It is simple to account for mean motion of
particles in the eddy diffusivity formulation through
the advection term, wsðqC=qzÞ.

Other Approaches to Modeling
Dispersion

The eddy diffusivity approach does not generally
apply to sources far removed from the ground. For
example, it is difficult to justify its application to the
convective atmospheric layer where the turbulent
length scales are large compared to the spatial scales
of the concentration field. The probability density
function (pdf) approach can provide useful results
under these circumstances. Studies show that disper-
sion in the convective boundary layer (CBL) is strongly
influenced by the relative longevity of convective
downdrafts and updrafts. The majority of particles
released in downdrafts travel continuously downward
until they reach the vicinity of the ground. Numerical
experiments indicate that to a useful degree of
approximation, the velocity of these particles can be
taken to be constant at the value at the release point.

This assumption allows one to express the cross-
wind-integrated ground level concentration, �CCy, in
terms of the probability density function of the vertical
velocity, pðwjhsÞ, at the height of release, hs, by eqn
[37], where the vertical velocity corresponds to that
required to bringmaterial from the release point to the
ground level receptor at x, given by [38].

�CCy ¼ 2Q

x
PðwjhsÞ ½37�

w ¼ �Uhs=x ½38�
The simple formulation, which can be readily modi-
fied to account for the presence of the mixed layer,
provides an excellent description of laboratory obser-
vations of dispersion in the CBL. Note that eqn [37]
reproduces the empirical Gaussian distribution if we
make the reasonable assumption that the probability
density function of vertical velocity fluctuations is
normal, giving eqn [39], where sz is expressed by
eqn [40].

�CCy ¼
ffiffiffi
2

p

r
Q

Usz
exp � h2s

2s2z

� �
½39�

sz ¼ swx=U ½40�
The Gaussian formulation is not reliable in the
CBL because the pdf is positively skewed. The
associated negative mode of the pdf leads to the

ws

l
�Leff

ws

l~

TLw
�w

�w

l~ �particle
ws~
g

If settling 
velocity ws >> �w,

,

Figure 2 Time scales that affect dispersion of heavy particles.
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descent of the plume centerline when the release is
elevated, and leads to concentrations that are about
30% higher than that predicted with the Gaussian
formulation.

In principle, if we could simulate all the scales
of turbulent motion, there would be no need for
models of turbulent dispersion. We could use the
Navier–Stokes equations to generate an ensemble
of flows, obtain the corresponding concentration
fields from the species conservation equation, and
average over them to obtain the ensemble average
as well as the statistics of concentration fluctua-
tions. With the rapid increases in computing
power, direct numerical simulation (DNS) is becom-
ing a reality, and we have been able to obtain
useful information for low Reynolds number flows.
However, it will be some time in the future before
we will be able to use the technique for routine
applications.

The large eddy simulation (LES) technique
avoids the computational demands of DNS by
only simulating the energy-containing eddies.
The effects of the unresolved scales of motion are
modeled using a variety of parameterizations. It is
believed that the most important features of flow
are insensitive to these parameterizations because
the subgrid scales contain a small fraction of the
total energy. This assumption has been vindicated
by LES of convective boundary layers, which was
pioneered by Deardorff in the 1970s. Velocity
fields generated by large eddy simulations compare
well with observations, and continue to provide
information that is difficult to obtain in the
field. Lamb used the velocity fields generated by
Deardorff to simulate dispersion in the CBL. The
simulation consisted of releasing a large number of
particles and tracing their motion using the LES
velocity field. Then, the crosswind concentration
averaged over a vertical distance Dz is given by eqn
[41], where f is the fraction of the particles released
that pass through Dz.

�CCy ¼ Q

UDz
f ½41�

Figure 3 justifies this equation.
Lamb’s simulations provided valuable insight into

dispersion in the CBL, including the observation that
the locus of the maximum concentration descended
towards the ground. This behavior is related to the
negative mode of the probability density function of
the vertical velocity fluctuations.

A technique that is not as computationally demand-
ing as DNS or LES is called Lagrangian stochastic
simulation (LSS). It is attractive because it only uses
the statistics of the velocity field such as velocity

variance, and dissipation rate of turbulent kinetic
energy. Because this technique is being used to
examine routine dispersion problems, we discuss it
in some detail in the next section.

Lagrangian Stochastic Models

In Lagrangian stochastic modeling, turbulent disper-
sion is modeled by tracing the motion of a large
number of fluid particles that are tagged at the source;
these particles are treated mathematically as points.
The evolution of the velocity of each particle depends
on turbulence properties at the current location of the
particle. To illustrate the basic ideas, let us trace a
particle that is only affected by vertical velocity
fluctuations. Then, the vertical velocity of a parcel
at time t þ Dt is related to the velocity at time t
through eqn [42], where w0 is a random velocity
drawn from the distribution of vertical velocity
fluctuations.

wðt þ DtÞ ¼ awðtÞ þ bw0 ½42�
Thus, the future velocity of the particle consists
of a deterministic component that depends on its
current velocity, and a random component that
depends on the turbulence at the location of the
particle. We can show that eqn [42] is equivalent
to the Langevin equation in which a particle is
subject to a linear viscous force and a random
pressure force.

The particle position is traced through eqns [43].

Dz ¼wðt þ DtÞDt
Dx ¼UDt ½43�

Q

U

∆z

U ∆z C y =
Fraction of particles
that pass through ∆z Q

Figure 3 Calculation of concentrations using Lagrangian sto-

chastic simulation of particle trajectories.
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In homogeneous turbulence, we can show that a and b
are given by eqns [44],

a ¼ 1� Dt
TLw

� �

and ½44�

b ¼ 2Dt
TLw

� �1=2

where theLagrangian time scale,TLw, can be related to
the turbulent dissipation rate according to eqn [45],
where C0 is a constant.

TLw ¼ 2

C0

s2w
e

½45�

While this simplemodel has produced useful results,
it is not applicable to boundary layerswith gradients in
turbulence properties. New developments in LSS are
best described by recasting eqn [42] as [46], where a is
given by eqn [47] and the dz is a normal random
variable with zero mean and variance dt.

dw ¼ awdt þ ðC0eÞ1=2 dz ½46�

a ¼ � C0e
2s2w

½47�

During the 1980s, several ad hoc formulations for the
term ‘a’ in eqn [46] were proposed to account for flow
complexities such as inhomogeneity and non-Gauss-
ianeity of the turbulent velocities. This unsatisfactory
situation was remedied by Thomson in 1987 when he
proposed a systematic method for constructing for-
mulations for ‘a’ by invoking the constraint that the
model for this term should preserve a well-mixed
concentration field. This is equivalent to insisting that
the Lagrangian pdf (probability density function) for
fluid particles marked at the source should become
identical to that of unmarked fluid particles at large
travel times. The evolution of the pdf is governed by
the Fokker–Planck equation corresponding to eqn
[46]. Using the solution of this equation, Thomson
was able to derive formulations for the term ‘a’ that
accounted for inhomogeneity and non-Gaussianeity
of the turbulent velocities. For example, the modified
form of eqn [46] can be represented by eqn [48].

dw ¼ � C0e
2s2w

w dt þ 1

2
1þw2

s2w

� �
qs2w
qz

dt

þ ðC0eÞ1=2 dz ½48�
It turns out that ‘a’ can be expressed uniquely only for
one-dimensional turbulence or isotropic turbulence;
for two- and three-dimensional turbulent flows, ‘a’ is
not a unique function of the velocity field. This
nonuniqueness problem can be serious because for a

given turbulent flow, substantially different concen-
tration fields canbe obtained from twomodels, both of
which satisfy the well-mixed condition.

One way of alleviating this problem is to drive
Lagrangian stochastic models with velocity fields
obtained from large eddy simulation (LES) because
large eddies that contribute to inhomogeneity and
nonisotropy of the velocity field are treated explicitly
in both LES and LSS. The sub-grid-scale eddies can be
considered locally homogeneous and locally isotropic.
Because only the particle motion associated with sub-
grid energy is modeled with LSS, errors associated
with the nonuniqueness of the LSS model can be
minimized.

Concentration Fluctuations and Model
Uncertainty

Any given observed concentration will deviate from
the ensemble average. This deviation is caused by the
intrinsic variability of the concentration field called
concentration fluctuations. In principle, the statistics
of these concentration fluctuations can provide insight
into the expected deviation of the model-predic-
ted ensemble mean from a corresponding observed
concentration.

To understand the effect of concentration fluctua-
tions, consider the following model of the concentra-
tion time series in which the concentration is a peak
value, Cpeak, or zero. Then, we can show that the
variance of the instantaneous concentration about the
ensemble-averaged mean is given by eqn [49].

s2c
C2

¼ Cpeak

C
� 1 ½49�

Because the peak tomean concentration ratio canbe as
large as 10 or even 100, especially close to an elevated
source, the standard deviation of the concentration
fluctuations can be several times the mean. If we are
interested in predicting a time-averaged concentra-
tion, we have to estimate the time scale, Tc that
governs the concentration fluctuations. This then
allows us to estimate the number of independent
concentration events that we are likely to observe
during the averaging intervalTav, asTav=Tc. Then, the
deviation, d, of the time-averaged mean about the
ensemble mean is given by [50].

d
C
� Tc

Tav

� �1=2 sc
C

½50�

Tc roughly corresponds to the time taken for the
instantaneous plume to pass a fixed observer. If we
take the instantaneous plume size to be 100m and the
wind speed to be 5 m s�1, the time scale, Tc, is 20 s.
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Assuming that we are interested in an averaging time
of 1 hour, d works to be about 25% of the mean for a
peak to mean ratio of 10. This exercise identifies the
variables that might govern the deviation between
model estimates and observations. Actual compari-
sons between model estimates and observations indi-
cate that the error is much larger because of model
formulation and input errors. A model is generally
considered adequate if its estimates are consistently
within a factor of two of the observations.

We can use a simple model to discuss the role of
molecular diffusion in determining concentration
fluctuations. Assume that we release Qm mass units
in an initial volume of V0, so that the initial concen-
tration isQm=V0. As the released material is stretched
over a larger volume, V, in space, the volume marked
by the material remains unchanged if the fluid is
incompressible and molecular diffusion is negligible
(seeFigure 4). Themean concentration, corresponding
to material spread over V, is proportional to 1=V,
while the peak concentration remains unchanged from
the initial value. Then, the peak to mean ratio, which
determines the concentration variance, is simply
V=V0. In the presence of molecular diffusion, the
material is no longer confined to its initial volume, and
the peak concentration has to decrease with time.
Thus, molecular diffusion decreases concentration
fluctuations relative to the mean value.

The meandering plume model, used to estimate the
variance of concentration fluctuations, is an extension
of the previous concept. Here, the time-averaged
plume is assumed to be composed of instantaneous
plumes whose dimensions are determined by relative

dispersion. Then, the peak concentration is deter-
mined by the concentration within the instantaneous
plume, which is inversely proportional to s2, where s
refers to the spread by relative dispersion. Then, if s is
the time-averaged spread of the plume, the peak to
mean ratio, and the normalized concentration vari-
ance is of the order of s2=s2 as long as we can neglect
molecular diffusion within the instantaneous plume.
Molecular diffusion will eventually smear the concen-
tration over the instantaneous plume and thus de-
crease the normalized concentration variance.

The statistics of concentration fluctuations can be
used in estimating the air quality impacts of species for
which small time exposures are important. These
statistics can be used to estimate the probability that a
certain threshold is exceeded. Thus, there is great
interest in formulating models for concentration
fluctuations. Some of the more recent models have
combined a version of LSS with LES velocity fields to
model relative dispersion and thus concentration
fluctuations. In the future, we are likely to see more
use of direct numerical simulation in understanding
turbulent dispersion. This does not mean that our
ability to predict concentrations will improve sub-
stantially, because the nature of turbulence places
practical limits on predicting individual realizations of
concentrations.

List of Symbols
~CC Instantaneous concentration
C Mean concentration
c Concentration fluctuation defined as ~CC� C

Volume of marked material
is still V0 but material is
spread over V in space 

Peak concentration 
is decreased
by molecular
diffusion through
strands of marked
material

Qm

Qm

V0

V0
C0 ~ Qm

V
C ~

V

Figure 4 Factors that affect concentration fluctuations. Cpeak � C0 in the absence of molecular diffusion, and s2c=C
2 �

Cpeak=C � V=V0.
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Cpeak Peak concentration
�CCy Crosswind integrated concentration
D Molecular diffusivity of species in air
hs Source height
H0 Surface heat flux
K Eddy diffusivity
L Monin–Obukhov length
l Length scale characterizing turbulent fluctu-

ations
N Brunt–Vaisala frequency
Q Source strength for continuous emissions
Qm Total mass of a puff
RLv Lagrangian autocorrelation for crosswind

velocity
s Puff dimension (or spread)
Tav Averaging interval
Tc Time scale of concentration fluctuations
TLv Lagrangian time scale for crosswind velocity
TLw Lagrangian time scale for vertical velocity
t Travel time from source to receptor
~UU Instantaneous wind speed
U Average wind speed
u Wind speed fluctuation defined as ~UU �U
un Surface friction velocity
ws Gravitational settling velocity of a heavy

particle
d Deviation of time-averaged mean about the

ensemble mean
e Rate of dissipation of turbulent kinetic energy
r Density of air
sc Standard deviation of concentration fluctua-

tions
sv Standard deviation of crosswind velocity

component
sw Standard deviation of vertical velocity com-

ponent
sy Lateral dimension (or spread) for Gaussian

plume model
sz Vertical dimension (or spread) for Gaussian

plume model

t Surface shear stress
tLeff Effective Lagrangian time scale of a heavy

particle
tparticle Relaxation time scale of a heavy particle
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Introduction

Life on Earth began with light. Before oxygen
developed in the Earth’s atmosphere, the ocean as
well as fresh water bodies served as a suitable
environment for the evolution of Earth’s early life
forms, because water provided protection from
damaging ultraviolet radiation from the Sun. Photo-
induced chemical reactions led to photosynthesis.
Oxygen produced by photosynthetic bacteria led to
the formation of ozone, and eventually to life forms
that could develop also on land, because the ozone
layer provided vital protection against harmful ultra-
violet radiation.

In the primordial atmosphere, and today as well,
the formation of photochemically active species
is initiated by ultraviolet and visible solar
radiation through the process of photolysis, in which
molecules are split up into atoms and smaller
molecules. Photolysis of the oxygen molecule (O2)
leads to oxygen atoms (O). Ozone is then formed
when an oxygen atom and an oxygen molecule
combine to yield O3. Chemical reactions catalyzed
by photolysis are responsible for the destruction
of atmospheric ozone. The bulk of the ozone
resides in the stratosphere (15–50 km),where its
abundance is determined by a balance between

production and loss processes. Ozone has a
maximum at about 20 km. This peak is controlled
by production and loss processes. The ozone
production depends on the photolysis of O2,
which is proportional to the product of the solar
flux of dissociating UV radiation and the density
of the O2 gas (see eqn [4]).The solar UV light intensity
falls off rapidly with depth into the atmosphere,
due to absorption and scattering by atmospheric
gases, whereas the number density of O2 molecules
decreases exponentially with height. Thus, the pro-
duction of ozone will have a maximum at that height
where the two curves cross each other.

This article provides a description of how ultra-
violet radiation interacts with molecules and sus-
pended matter in the atmosphere and in the ocean. It
gives a basic description of this interaction, as well as
examples of how UV penetration into the ocean is a
affected by the stratospheric ozone layer and by
suspended particles in the ocean.

Spectrum of Electromagnetic
Radiation for the Sun

An overview of the various parts of the solar spectrum
is provided in Table 1. The spectral variable is the
wavelength l ¼ c=n, where c is the speed of light and n
is the frequency (s�1 or Hz). In the UV and visible
spectral range, l is expressed in nanometers
(1 nm5 10�9m). The irradiance in each spectral
range is listed as well as the known percentage solar

Table 1 Subregions of the spectrum

Sub region Irradiance

(Wm�2)
Solar variability Comments

Far UV (100olo 200nm) o1 7–80% Dissociates O2. Discrete electronic excitation of atomic

resonance lines.

Middle UV or UV-C (200olo280nm) 6.4 1–2% Dissociates O3 in intense Hartley bands. Potentially

lethal to biosphere.

UV-B (280olo320nm) 21.1 o1% Some radiation reaches surface, depending on O3

optical depth. Damaging to biosphere. Responsible

for skin erythema.

UV-A (320olo400nm) 85.7 o1% Reaches surface. Benign to humans. Scattered by

clouds, aerosols, and molecules.

Visible or PAR (400olo700nm) 532 r0.1% Absorbedbyocean, land.Scatteredbyclouds, aerosols,

and molecules. Primary energy source for biosphere

and climate system.

Near IR (0.7olo3.5mm) 722 F AbsorbedbyO2,H2O,CO2 in discrete vibrational bands.

PAR: photosynthetically active radiation.

Adapted with permission from Thomas GE and Stamnes K (1999). Radiative Transfer in the Atmosphere and Ocean. Cambridge:

Cambridge University Press.
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variability, defined as the maximum minus minimum
divided by the minimum.

In Figure 1 we show the UV, visible and near-
infrared part of the spectral solar irradiance (wave-
lengths shorter than 1000 nm) measured on board an
earth-orbiting satellite, above the atmosphere. Spectra
of ideal blackbodies at several temperatures are also
shown in Figure 1. Requiring that the total energy
emitted is the same as a blackbody, one finds that the
Sun’s effective temperature is 5778K. If the radiating
layers of the Sun had a uniform temperature at all
depths, its spectrum would match one of the theore-
tical blackbody curves exactly. Therefore, the devia-
tions are the result of emission from a non-isothermal
solar atmosphere. Some of themore important aspects
of the UV/visible spectrum are: (1) Most of the
emission arises within the photosphere where the
Sun’s visible optical depth reaches unity. The finer
structure is due to Fraunhofer absorption by gases in
the cooler (higher) portions of the photosphere. (2) For
125 nmolo380 nm, the effective radiating tempera-
ture falls to values as low as 4500K, due to increased
numbers of overlapping absorbing lines. At still
shorter wavelengths, some of the emission originates
in the hotter chromosphere which overlies the photo-
sphere, and the effective temperature increases. (3)
The UV irradiance is noticeably dependent upon the
solar cycle, being more intense at high solar activity
than at low solar activity.

Sun–Earth Geometry

Since the Earth moves around the Sun in an elliptical
orbit, the Earth–Sun distance, Rn, varies throughout
the year, such that on day number dn (0 for 1 January,
364 for 31 December)

Rn ¼ R0ða0 þ a1 cos yn þ a2 sin yn þ a3 cos 2yn

þ a4 sin 2ynÞ�1=2

where R0 is the average Earth–Sun distance. The
coefficients are a0 ¼ 1:000110, a1 ¼ 0:034221,
a2 ¼ 0:001280, a3 ¼ 0:000719, a4 ¼ 0:000077, and
yn � 2p dn=365 ðradÞ. Rn varies by about 3.4% from
itsminimumvalue on about 3 January to itsmaximum
value on about 3 July. Thus, the variation in R2

n, and
therefore in the extraterrestrial solar irradiance, is
about 6.9%. This implies that the UV exposure is
almost 7% larger in the Southern Hemisphere in
January, than at the same latitude in the Northern
Hemisphere in July. The illumination of the Earth’s
surface depends on the solar zenith angle, y0, which is
the angle between the local vertical and the direction of
the center of the solar disk. The complementary angle
between the local horizon and the Sun is called the
solar elevation angle. The solar zenith angle depends
on time of day, time of year, and geographic location.
Thus, the solar illumination varies on diurnal,
seasonal as well as the 11 year solar cycle time scales.

Interaction of UV Light with Absorbing
and Scattering Media

To describe the interaction of light with the atmo-
sphere and the ocean (or freshwater bodies), it is
convenient to think of such media as composed of
radiatively active ‘particles’ that absorb and scatter
light. In the atmosphere, these particles consist of
molecules, aerosols, and cloud droplets or ice crytals.
In the ocean, they consist of molecules (although
strictly speaking the scattering by pure water is caused
by molecular density fluctuations) and hydrosols
(suspended particles of organic and inorganic origin).

Definitions of Irradiance and Radiance

The spectral net irradiance Fn within a small frequency
range n to nþ dn is the net energy d3E crossing a
surface element dA per unit time and per unit
frequency:

Fn ¼ d3E

dA dt dn
¼ Fþ

n � F�
n ðWm�2 Hz�1Þ

Here we have introduced the spectral hemispherical
irradiances Fþ

n ¼ d3Eþ=dA dt dn and F�
n ¼ d3E�=

dA dt dn.
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Figure 1 Extraterrestrial solar irradiance, measured by a

spectrometer on board an Earth-orbiting satellite. The UV

spectrum ð119olo420nmÞ was measured by the SOLSTICE
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provided by GJ Rottmann, private communication, 1995).The
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The directional dependence of the energy flow
is obtained by considering the energy d4E that
flows within a solid angle do around direction
ÔO in the time interval dt and within the frequency
range dn. The spectral radiance In is defined as the
energy per unit area per unit solid angle, per unit
frequency, and per unit time that passes through a
surface element dA: In ¼ d4E= cos y dA dt do dn
(Wm� 2 sr�1Hz�1) where y is the angle between the
surface normal n̂n and the direction of propagation ÔO.
From these definitions the spectral net irradiance can
be expressed as

Fn ¼ Fþ
n � F�

n ¼
Z
þ
do cos yIn �

Z
�
do cos yIn

¼
Z
4p
do cos yIn

where the subscripts 1 and � on the integral signs
denote integration over each hemisphere. Finally, we
define the mean intensity as �IIn ¼ ð1=4pÞ R4p doIn,
which is simply the radiance averaged over the sphere.
Integration over all frequencies yields the net irradi-
ance F ¼ R10 dn Fn and the actinic radiation 4p�II ¼
4p
R1
0 dn�IIn both in units of Wm�2.

Absorption, Scattering, andExtinction byMolecules
and Particles

It is found experimentally that if a beam of light is
incident on a thin layer of thickness ds consisting of
radiatively active constituents, then the light is
attenuated so that the differential loss in radiance is
dIn ¼ �kðnÞIn ds, where k is called the extinction
coefficient. Integration yields

Inðs; ÔOÞ ¼ Inð0; ÔOÞ exp½�tsðnÞ� ½1�
Here ÔO denotes the propagation direction of the beam,
and the dimensionless extinction optical path or
opacity along the path s is given by tsðnÞ �R s
0 ds0 kðnÞ. The extinction optical path of a mixture
of scattering/absorbing molecules and particles is
defined as the sum of the individual scattering optical
path, tscðnÞ, and the absorption optical path, tsðnÞ ¼
tscðnÞ þ taðnÞ, where tscðnÞ ¼

R s
0 ds

0P
i s

iðn; s0Þ ¼R s
0 ds0sðn; s0Þ and taðnÞ ¼

R s
0 ds

0P
i a

iðn; s0Þ ¼ R s0
ds0aðn; s0Þ. The sum is over all optically active species,
and siðn; s0Þ and aiðn; s0Þ (m�1) are the indi-
vidual scattering and absorption coefficients. The
total extinction coefficient iskðn; s0Þ ¼ aðn; s0Þ þ ðn; s0Þ.
Gaseous Absorption and Penetration Depth

Figure 2 shows that significant O2 absorption occurs
in the Schumann–Runge bands between 195 and
175 nm. At shorter wavelengths this feature merges

into the very intense Schumann–Runge continuum
(130–175 nm).

The O3 absorption at wavelengths longer than
310 nm is due to the Huggins bands. The weak but
spectrally broad absorption between 450 and 700 nm
is due to the Chappuis bands of O3. A instructive way
of looking at the effects of gaseous absorption on
incoming radiation is through the concept of penetra-
tion depth, defined as the height at which the solar
radiation reaches optical depth unity, for a clear
atmosphere exposed to an overhead sun. The UV
penetration depth for wavelengths shorter than
320 nm is shown in Figure 3. The smallest penetration
depths, occurring in the thermosphere, arise from the
very high absorption coefficients of air in the X-ray
ðlo10 nmÞ and extreme-UV ð10olo100nmÞ spec-
tral range. The far-UV solar radiation between 100
and 200 nm (Table 1) is absorbed in the lower
thermosphere and mesosphere (50–120 km). Middle-
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UV or UV-C ð200olo280nmÞ atmospheric absorp-
tion is dominated by the intenseHartley bands due to
O3. In the absence of O3, the Earth’s land and ocean
surface would be irradiated directly by UV-C to the
detriment, if not the total eradication, of surface life.
The absorption of this important energy band causes
the inversion in the Earth’s stratospheric (15–50 km)
temperature profile. Solar radiation near 250 nm, at
the peak of the Hartley band absorption, is absorbed
near 50 km.

Light at the shortest UV wavelengths penetrating to
the troposphere and surface is customarily divided
into two groups: UV-B (280–320 nm) and UV-A (320–
400 nm). Living organisms are muchmore sensitive to
damage by UV-B radiation than by radiation in the
more benign UV-A region. UV-B penetration is very
sensitive to the total column abundance of O3. At
longer wavelengths, the photosynthetically active
radiation (PAR) spans the spectral range between
400 and 700 nm. This spectral range has the greatest
clear-air transparency (except for radio waves)
because it contains only the weak absorption features
of O2 and O3. The eyes of humans (and animals) are
most sensitive to light in this spectral range, a fact of
extreme importance for evolutionary adaptation.

UV Light Transport in the
Atmosphere–Ocean System

If we are interested primarily in energy transport, it is
sufficient to consider the azimuthally averaged radi-
ance Inðz; uÞ,where z denotes the level in the medium
(height in the atmosphere or depth on the ocean) and
u ¼ cos y; y being the polar angle. It is convenient to

split the radiation field into two parts: (i) the direct
solar beam, which is exponentially attenuated upon
passage through the atmosphere and ocean, and (ii)
the diffuse or scattered radiation.

According to eqn [1] the penetration of the direct
solar beam through the atmosphere may be written as
(dropping the n subscript) IsolðzÞ ¼ IsolðtðzÞÞ ¼ Fse�ts .
Here Fs is the solar irradiance (normal to the solar
beam direction) incident at the top of the atmosphere.
Unless the Sun is close to the horizon, it is sufficient to
use plane geometry, assuming that the atmosphere
and the ocean are stratified media, for which the
optical properties vary only in the vertical. Then the
vertical optical depth tn is defined as tnðzÞ � tsm0 �P

i

R1
z dz0kðn; z0Þ, or dtnðzÞ ¼ �kðn; zÞ dz, where

m0 ¼ cos y0, and y0 is the solar zenith angle as
illustrated in Figure 4. In plane geometry the diffuse
radiation in the medium is described by

u
dInðz; uÞ

dz
¼� kðn; zÞInðz; uÞ þ sðn; zÞ

2

Z 1

�1

du0

�pðz; u0; uÞInðz; u0Þ þ Snn ðz; uÞ ½2�

Equation [2] has a simple physical interpretation. The
term on the left side is the change in the radiance along
the slant path dz=u. The first term on the right
side is the loss of radiation out of the beam due to
extinction. The second term is the gain due tomultiple
scattering, where the normalized angular scattering
cross-section, pðz; u0; uÞ, gives the probability that
light is scattered fromdirection u0 into direction u. The
third is the solar pseudo-source, proportional to the
attenuated solar beam, which ‘drives’ the diffuse
radiation. Instead of the geometrical distance dz, it is
customary to use the nondimensional optical depth,
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dtðzÞ ¼ �kðzÞ dz, as the independent variable. Then,
we may rewrite eqn [2] as follows (dropping the
subscript n):

u
dIðt; uÞ

dt
¼ Iðt; uÞ � aðtÞ

2

Z 1

�1

du0pðt; u0; uÞ

�Iðt; u0Þ � Snðt; uÞ ½3�
where the single-scattering albedo is defined as
aðtðzÞÞ � sðzÞ=kðzÞ. The source term Snðt; uÞ is defined
below.

Surface Reflection and Transmission

A knowledge of the reflectance of underlying land and
ocean surfaces is necessary for calculating the diffuse
radiation field. Also, in shallowwaters, the reflectance
of the ocean bottom influences the diffuse radiation in
the water and the radiation leaving the water surface.
The reflectance and transmittance of a surface depend
upon both the angles of incidence and reflection or
transmission. In atmospheric radiative transfer it is
frequently assumed that the underlying land or ocean
surface reflects incoming radiation isotropically. Such
a surface is called a Lambert reflector, and the
reflectance is called the surface albedo, rL. However,
most natural surfaces are non-Lambertian. Thus, we
could relax the assumption of a Lambert reflector and
use instead the bidirectional reflection distribution
function, if this function is known. For the coupled
atmosphere–ocean system it is preferable to consider
two strata, one for the atmosphere and one for the
ocean, but with different indices of refraction. The
basic radiance, defined as I=m2 wherem is the real part
of the indexof refraction, is the relevant quantitywhen

we consider two stratawith different values ofm. Ifwe
assume for simplicity that the interface is flat and
smooth (a calm ocean), then the basic radiance must
satisfy Snell’s law and Fresnel’s equations. As illu-
strated in Figure 4, the downward radiation distrib-
uted over 2p sr in the atmosphere will be restricted to a
cone less than 2p sr (referred to as region II in Figure 4)
after being refracted across the interface into the
ocean. Beams outside the refractive region in the ocean
are in the total reflection region (referred to as region I
in Figure 4). The demarcation between the refractive
and the total reflection region in the ocean is given by
the critical angle mc ¼ ð1� 1=m2

r Þ1=2, where mr ¼
mocn=mair is the index of refraction on the ocean
relative to the air.

Since the radiation field in the ocean is driven by
solar radiation passing through the air–water inter-
face, eqn [3] applies also in the ocean, but the solar
pseudo-sources are different. In the atmosphere we
have

Snairðt; uÞ ¼
aðtÞ
4p

pðt;�m0; uÞe�t=m0 þ aðtÞ
4p

rsð�m0;mrÞ
�pðt; m0; uÞ e�ð2ta�tÞ=m0

where the first term is the usual solar beam pseudo-
source, and the second term is due to the reflection
occurring at the interface, which is proportional to
rsð�m0;mrÞ, the specular reflection coefficient. The
pseudo-source in the ocean is just the attenuated solar
beam refracted through the interface:

Snocnðt; uÞ ¼
aðtÞ
4p

m0
mt

T sð�m0;mrÞ

�pðt;�mt; uÞe�t=m0e�ðt�taÞ=m0

where T sð�m0;mrÞ is the beam transmittance through
the interface and mt is the cosine of the solar zenith
angle in the ocean, which is related to m0 by Snell’s law
mt � mtðm0;mrÞ ¼ 1� ð1� m20Þ=m2

r

� �1=2
. With the use

of the appropriate pseudo-sources for the atmosphere
ðSnairðt;uÞÞ and ocean ðSnocnðt; uÞÞ, eqn [3] can now be
solved subject to boundary conditions at the top of the
atmosphere and the bottom of the ocean. However, in
addition we must properly account for the reflection
and transmission through the interface by requiring
that I=m2 satisfies Snell’s law and Fresnel’s equations.

Photolysis Rate and Biological
Dose Rate

In atmospheric photochemistry the photolysis rate is
defined as the local rate of a photoabsorption process
leading to a specific photodissociation event. We
express the photolysis rate coefficient for the photo-
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dissociation of a particular species i as follows:

Ji �
Z 1

nc
dn4pð�IIn=hnÞ aiðnÞZiðnÞ ðs�1Þ ½4�

Here aiðnÞ is the photoabsorption cross-section,
ZiðnÞ ð0 � Zi � 1Þ is the quantum yield or efficiency
by which the absorbed radiative energy produces the
photodissociation, nc is the minimum frequency
corresponding to the threshold energy for the photo-
absorption, �II is the mean intensity, and 4p�IIn=hn is the
density of photons at a given frequency. Photochemists
frequently use the term actinic flux for the quantity
4p�IIn.

The rate at which a surface receives radiative energy
capable of initiating certain biological processes is
obtained by weighting the received radiation by a
specific spectral function AðnÞo1 called the action
spectrum, which gives the efficiency of a particular
process, for example, the UV ‘kill-rate’. The rate at
which a flat surface is ‘exposed’ is called the dose rate

D �
Z 1

0

dnAðnÞF�
n ðWm�2Þ ½5�

where F�
n is the incident irradiance. The radiation dose

is defined to be the total time-integrated amount of
energy received (usually over 1 day)

R
dt DðtÞ.

UV Transmission into the Ocean

Manymarine organisms are sensitive to UVradiation.
The increase in UV exposure as a function of
geographic location and depth in the ocean
resulting in ozone depletion remains uncertain
due to a scarcity of measurements. The extent to
which these marine organisms will be able to adapt to
the expected increases in UV exposure is also
uncertain. There is some evidence that increased levels
of UV-B radiation may impact phytoplankton com-
munities by (i) initiating changes in cell size and
taxonomic structure, (ii) reducing productivity, (iii)
influencing protein content, dry weight, and pigment
concentration, (iv) inducing chloroplast damage, and
(v) directly affecting the proteins of the photosynthetic
apparatus.

Modeling UV Penetration into the Ocean

UV penetration in the ocean is strongly influenced by
small plankton and thus by biological productivity,
which provides a close link between biological and
optical oceanography. Important aspects of the ozone
depletion issue include the effects of increased UV
levels on algae, plankton, and fish larvae. As sources of
atmospheric sulfur compounds involved in cloud
formation, plankton may indirectly affect atmo-

spheric transmission, thereby linking atmospheric
radiative transfer with ocean biology.

The impact of decreased ozone levels on aquatic
ecosystems may be assessed by a radiation model that
provides a solution of the radiative transfer equation
for the coupled atmosphere–ocean system. The atmo-
sphere is assumed to be separated from the ocean by a
plane interface as explained above. The relative
refractive index for air is taken to be unity and that
of the ocean to be 1.33. To account for the vertical
inhomogeneity of the atmosphere and the water, the
two media are divided into a sufficient number of
layers to resolve the changes in optical properties with
height in the atmosphere and depth in the ocean. To
estimate the UV penetration through this coupled
atmosphere–ocean system, we need the spectral
distribution of the radiation incident at the top of the
atmosphere (Figure 1) as well as the optical properties
of the atmosphere and water media. For a clear
atmosphere, the optical properties are determined
mainly by ozone absorption (Figure 2) and molecular
(Rayleigh) scattering.

Phytoplankton dwell in the top layers of the water
column, the euphotic zone, because of their require-
ment for PAR radiation to drive photosynthesis. In the
euphotic zone, they would be exposed to any increase
in UV radiation. If all other factors remain constant,
ozone depletion would lead to increased transmission
ofUV-B radiation through the atmosphere and into the
water column. Model results indicate that UV-B
radiation is significantly absorbed in the first couple
of meters into the water. At high latitudes (701) an
ozone depletion of 30% (compared to normal) will
increase UV-B exposure 10m below the surface by as
much as 33% on 1 October in the Southern Ocean,
and by 23% at summer solstice. Thus, the relative
amount of UV-B increase in the water column due to
ozone depletion is most pronounced in spring, which
happens to be the time when polar ozone depletion is
most severe. Chlorophyll pigment reduces the pene-
tration of UV-B radiation into thewater. The larger the
chlorophyll concentration, the less the UV-B transmis-
sion; however, the UV-B to PAR ratio is relatively
unaffected by the chlorophyll concentration. Thus,
species that depend on a certain level of PAR for
photosynthesis, and therefore adjust their depth in the
water to optimize PAR, will be exposed to a similar
level of UV-B regardless of chlorophyll content.

MeasuredandComputedUV Irradiance in theOcean

Underwater spectral irradiance was measured in situ
with a UV/visible spectrometer submersed into the
ocean off Palmer Peninsula, Antarctica. Figure 5
compares the measured and computed ratio of the
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irradiance integrated across the UV-B range (FUV-B,
280–320 nm) to that integrated across the complete
measured range (Ftotal, 280–700 nm). Ratios for both
undepleted ozone levels (350DU, labeled ‘outside
hole’) and depleted levels (150DU, labeled ‘inside
hole’) are shown. How well can this model reproduce
the underwater downwelling irradiance when it is
constrained to yield the correct surface irradiance by
adjusting the cloud/aerosol optical depth (which was
not measured)? We note that there is good agreement
between computed and measured ratios below the
surface, but some curvature in the computed ratio just
below the surface is absent in the ratio inferred from
the measurements. A possible reason for this discre-
pancy is the neglect of surface waves in the model,
which assumes a plane atmosphere–ocean interface.

Solar zenith angle has an important influence onUV
radiation reaching the Earth’s surface. It was overcast

during the measurements, but the solar zenith angle
was almost the same for the measurements taken
inside and outside the ozone hole. Since the optical
properties of clouds and aerosols depend weakly on
wavelength, the impact of clouds and aerosols on the
ratio FUV-B=Ftotal is expected to be small. This
circumstance allows us to investigate the impact
of changes in ozone abundance on the surface
and submarine irradiance ratio. Ozone depletion
will increase the surface and underwater UV
irradiance. Although the vertical distributions of
chlorophyll in the water were different under
and outside the ozone hole, the impact of this
difference on the vertical variation in the ratio
FUV-B=Ftotal is small. Thus, the vertical attenuation
coefficients are nearly the same inside and outside
the ozone hole. Therefore, if UV-B exposure is
doubled at the surface, it will be doubled at all depths,
and the critical depth above which UV-B damage may
occur will be correspondingly deeper in the water
column.

Further Reading

Kirk JTO (1994) Light and Photosynthesis in Aquatic
Ecosystems, 2nd edn. Cambridge, NY: Cambridge
University Press.

Meier RR, Anderson GP, Cantrell CA, Hall LA, Lean J,
Minschwaner K, Shetter RE, Shettle EP, and Stamnes K
(1997) Actinic radiation in the terrestrial atmosphere.
Journal of Atmospheric and Solar Terrestrial Physics
2111–2157.

Rottman GJ, Woods TN and Sparn TP (1993) Solar stellar
irradiance comparison experiment I. Instrument design
and operation. Journal of Geophysical Research 98:
10 667–10 678.

Smith RC, Prezelin BB, Baker KS, Bidigare RR, Boucher NP,
Coley T, KarentzD,McIntyre S,MatlickHA,Menzies D,
Ondrusek M, Wan Z, and Waters KJ (1992) Ozone
depletion: ultraviolet radiation and phytoplankton biol-
ogy in Antarctic waters. Science 255: 952–959.

Thomas GE and Stamnes K (1999) Radiative Transfer in
the Atmosphere and Ocean. Cambridge: Cambridge
University Press.

Zerefos CS and Bais AF (eds) (1997) Solar Ultraviolet
Radiation: Modeling, Measurements and Effects. Berlin:
Springer Verlag.

0

10

20

30

40

D
ep

th
 (

m
)

10
_5 10

_4 10
_3 10

_2

Fuvb / Ftotal

outside hole

inside hole

Figure 5 Comparison betweenmodel computations (solid lines)

and measurements (dotted lines) of depth versus FUV�B=Ftotal.

Inside the ozone hole, the ozone abundancewas 150DU, the solar

zenith angle was 561, and the vertical distribution of chlorophyll

concentration was 0.57mgm�3 from the surface to 20m depth,

0.47mgm�3 below 20m. Outside the ozone hole, the ozone

abundance was 350DU, the solar zenith angle was 571, and the

vertical distribution of chlorophyll concentration was 1.9mgm� 3

from the surface to 10m depth, 1.6mgm� 3 from 10 to 20m, and

1.5mgm� 3 below 2m.
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Introduction

The extraterrestrial solar radiation is dominated by
visible and near-infrared wavelengths, and only a
small portion of the energy is within the UV region.
Furthermore, only a fraction of this UV radiation
incident at the top of the atmosphere is transmitted to
the Earth’s surface. This transmitted UV radiation is
nevertheless of great importance, because the photon
energies in this spectral region are sufficient to damage
bonds in molecules such as DNA, the ‘building block
of life’. This has led to concerns that increases in UV
radiation resulting from ozone depletion will have
further detrimental environmental effects. These in-
clude health effects in humans (e.g., damage to skin
and eyes), damage to aquatic and terrestrial plants and
ecosystems, anddamage tomaterials. Small changes in
ozone can lead to relatively large changes in UV
radiation reaching the Earth’s surface: it has been
estimated that for each 1% reduction in ozone, the
incidence rate for skin cancer will increase by 2–3% if
all others factors remain unchanged.

Here the factors controlling UV irradiance at the
Earth’s surface are discussed. The concept of weighted
UV irradiances is introduced along with methods to
assess the sensitivity to ozone change. These are
applied particularly to the recently defined UV Index
– a standardized measure used to disseminate UV
information to the public. Geographical and temporal
changes in weighted UV are presented.

Solar UV Radiation and Its
Transmission Through the Earth’s
Atmosphere

UV radiation is subdivided into three wavelength
bands: UV-A (315–400 nm) radiation, UV-B (280–
315 nm)1 radiation, and UV-C (100–290nm) radia-
tion. UV-A radiation is largely unaffected by ozone.
UV-C comprises less than 0.6% of the incident solar

spectrum at the top of the atmosphere, and it is
effectively absorbed high in the Earth’s atmosphere by
oxygen (below B240 nm) and by ozone (below
280 nm). UV-B radiation penetrates to the surface,
but it is strongly absorbed by atmospheric ozone,
whose absorption cross-section increases rapidly to-
wards shorter wavelengths in this spectral region.
Consequently UV-B radiation received at the Earth’s
surface is highly variable and shows a strong depend-
ence on solar zenith angle (SZA) and ozone amount
(Table 1), leading to large geographical and temporal
variabilities. As with other spectral regions of solar
radiation, it is also modulated by other factors, as
follows:

1. Variability in solar output. The greatest changes
in solar output occur in UV-C radiation, which is not
transmitted to the Earth’s surface. Paradoxically,
increases in solar output (e.g., associated with
27-day solar rotation, or the 11-year solar cycle)
usually produce slight reductions in UV at the surface
because they result in increased ozone production.

2. Seasonal differences in Sun–Earth separation.
For a given solar zenith angle, irradiances inDecember
and January will be approximately 7% larger than in
June and July owing to the elliptical orbit of the Earth
about the Sun.

3. Scattering and absorption in clouds. This gener-
ally reduces UV radiation at the surface, but under
partly cloudy conditions with the Sun unobscured,
significant increases are also possible.

4. Scattering and absorption by aerosols. This
generally reduces UV radiation.

5. Rayleigh scattering by air molecules. This is
muchmore important in the UVregion than the visible
region since it has a wavelength dependence.

6. Reflections from the surface. In the UV most
natural surfaces have reflectivities (or albedo) less than
5%. However, fresh snow can have a reflectivity of
490%, leading to a greatly increased diffuse UV
contribution.

7. Altitude. In unpolluted conditions, UV-B irradi-
ance increases by approximately 5% per kilometer
because of reduced Rayleigh scattering. This rate of
increase can be increased appreciably when the effects
of snow cover and boundary layer extinctions are
included.

Because of its strong dependence on sun angle there
are large seasonal variations in UV radiation, which
become larger with increasing latitude. Seasonal and
latitudinal variations in ozone are also important.

1Some authors use 320 nm as the boundary between UV-A and

UV-B radiation.
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Globally, the average total ozone column amount
is approximately 300 Dobson units (1DU5
2.69� 1016molecule cm� 2), with a normal range
of around 250 to 450DU. In recent years, there has
been a significant reduction in ozone. Ozone column
amounts below 100DU have been observed in the
Antarctic spring. However, they occur only at rela-
tively large solar zenith angles, so although UV
intensities have increased greatly, they usually remain
moderate by global standards. The UV intensities are
greater in the tropics, where noon time solar zenith
angles are smaller and where total column ozone
amounts tend to be smaller. The highest intensities
occur at high altitudes (particularly over snow-cov-
ered surfaces) in the tropics, where losses by Rayleigh
and aerosol scattering are minimized.

Exposure to UV Radiation

The human eye responds to light with wavelengths
from about 790 nm (red) to 430 nm (violet). Ultravi-
olet (beyond-violet) wavelengths are shorter than the
human eye ‘sees’. Sunlight is received as direct rays and
as diffuse light, i.e. skylight which has been scattered
by the atmosphere. In the visible region the direct
beam component dominates over the diffuse compo-
nent whereas in the UV-B region, where scattering
processes are more efficient, the diffuse component is
usually dominant. The sky is blue because air mole-
cules scatter the shorter-wavelength blue light more
than the red light. UV radiation is scattered even more
than blue light. If we could ‘see’ in the UV, the Sun
would appear as a dull disk in a uniformly bright sky.
Being shaded from the Sun’s direct rays provides only
partial protection from UV exposure because of the
high level of diffuseUV light. In the visible regionmost
natural surfaces have relatively high reflectivity, so
that reflected light makes an important contribution,
whereas in the UV region this is not the case.

Small doses of UV radiation are beneficial to
humans, leading for example to the production of
vitamin D. However, larger doses can be harmful,
leading to ocular damage, immune suppression, and
damage to the skin. Skin-damaging effects include

ageing, erythema (skin reddening), sunburn, and some
forms of skin cancer. For overhead sun conditions and
for relatively low ozone amounts (e.g. in the tropics),
damage to themost sensitive skin types can occur with
exposures times of B10min.

Typical window glasses transmit less than 10% of
sunburning ultraviolet light, and sun block creams
work by absorbing or reflecting UV rays. The SPF
rating of sunscreens gives an indication of their
effectiveness as UV blockers. For example, an SPF of
15 means that it should take 15 times as long before
skin damage occurs as it would for damage to occur to
unprotected skin (i.e., the cream, when correctly
applied, should block B93% of the radiation that
causes skin damage).

Spectral Irradiance and UV Index

When the spectrum of UV radiation is examined in
detail it becomes apparent that there are large
variabilities within the broad categories discussed
above. Typical clear sky spectra are shown in Figure
1A (note the logarithmic y-axis scale) for overhead sun
assuming no ozone absorption, and for two solar
zenith angles with 300DU ozone. These two solar
zenith angles correspond to noon time at midlatitudes
in the summer and winter, and demonstrate that
during the summer months midlatitude sites experi-
ence UV comparable to that in the tropics, but in
winter the irradiances atmidlatitudes aremuch less.At
wavelengths less than 290 nm, absorption by ozone
has reduced the irradiances by B5 orders of magni-
tude. The detailed structure in the spectra is due
principally to absorptions by gases in the solar
atmosphere (Fraunhofer lines).

Formany biological processes, the damaging effects
of UV radiation become progressively more severe at
shorter wavelengths. One commonly used weighting
function to describe this effect is the so-called ery-
themal action spectrum for damage to human skin
(Figure 1A). Spectra of erythemally weighted UV
irradiances are shown in Figure 1B. The peak contri-
butions occur in the UV-B wavelength range, with the
relative contribution from the UV-A becoming more

Table 1 Approximate contributions (Wm�2) to solar energy from the UV-A and UV-B regions at 1AU (cloudless skies, no aerosols;

solar constant 51370Wm� 2)

Conditions UV-B (280–315nm) UV-B (280–320nm) UV-A (315–400nm)

Extraterrestrial 17.7 21.3 86.4

Earth surface, SZA501, ozone5300DU 2.23 4.07 66.5

Earth surface, SZA5601, ozone5300DU 0.41 0.95 27.0

Earth surface, SZA5601, ozone5450DU 0.22 0.63 26.7

Earth surface, SZA5601, ozone5100DU 1.17 1.95 27.6

1 AU=1 Astronomical Unit = the mean Earth–Sun separation.
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important at larger SZA and larger ozone amounts.
Theweighted irradiances for SZA5 22.51 are nearly a
factor of 10 more than for SZA5 67.51, a difference
much larger than if the ozone is changed from 300DU
to 450DU. The curve for SZA5 67.51, ozone5
100DU gives an indication of the weighted irra-
diance under the Antarctic ozone hole conditions.With
this extremely low ozone amount there is a shift in
the peak to shorter wavelengths.

Information onUV intensities is disseminated to the
public in terms of the erythemally weighted UV
irradiance (Figure 1B). The erythemal weighting
function applied to the spectrum involves an arbitrary
normalization to unity at wavelengths shorter than
298 nm, so erythemally weighted UV is not strictly

defined in terms of an SI unit. Furthermore, when
UV information is provided to the public, another
normalization is applied to provide a number, called
the UV Index. Historically, the reason for this
normalization choice was to give a maximum UV
Index of about 10 in Canada, where the unit was
first used.

UV Index ¼ 40

Z
IðlÞwðlÞdl

where l is the wavelength in nm, IðlÞ the irradiance in
Wm�2, and wðlÞ the erythemal weighting function
defined (Figure 1A) as:

wðlÞ ¼ 1:0 for 250ol � 298 nm;

wðlÞ ¼ 100:094ð298�lÞ for 298ol � 328nm;

wðlÞ ¼ 100:015ð139�lÞ for 328ol � 400nm;

wðlÞ ¼ 0 for l > 400 nm.

While there may be uncertainties about the biological
applicability of this erythemal action spectrum, its
great advantage is that it is mathematically defined
and therefore its detailed shape is unambiguous.
This is important in the UV region, where the steeply
sloping spectrum spans several orders of magnitude
(Figure 1A). Although the UV Index was developed to
represent damage to human skin, it may be applied to
other processes, since many biological UVeffects have
similar action spectra.

In reality, the UV Index is an open-ended scale, and
outside the protection of the Earth’s atmosphere the
UV Index is B300 (depending on the lower wave-
length limit of the integration).Table 2 shows how the
UV Index varies as a function of ozone and solar zenith
angle.When applying this table to geographic regions,
it is also necessary to apply corrections for variations
in Sun–Earth separation.

Sensitivity of UV to Ozone Change

The sensitivity of UV radiation to atmospheric ozone
is sometimes expressed as a so-called radiation
amplification factor (RAF), defined as

RAF � ðdR=RÞ=ð�dO=OÞ

where R and dR are, respectively, the dose rate (i.e.,
irradiance) and its change when the ozone column O
changes by a small amount dO.

For larger changes it is more accurate to use a
power-law formulation:

R2=R1 ¼ ðO2=O1Þ�RAF
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Figure 1 (A) Clear-sky spectra (at 1 AU) for no ozone and

overhead sun (black), and for 300DU ozone to represent the

spectral irradiance that would be seen at solar zenith angles of

22.51 and 67.51 (red and blue respectively, corresponding to noon
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whereR1 and R2 are the dose rates for ozone columns
O1 and O2 respectively.

The RAFs for several action spectra and weighting
ofUVradiation, computed for clear skies, are shown in
Table 3 (processes with small RAFs are omitted).

Global and Regional Patterns

Estimates of UV irradiance are available from direct
measurements at the surface, or from model calcula-
tions. In recent years satellite measurements of ozone
have been used in conjunction with satellite-derived
cloud parameters (e.g., reflectances) to estimate UV
irradiances and UV dosage at the Earth’s surface. For
example, Figure 2 shows a global mean annual
climatology of erythemal UV dose, including cloud

Table 2 UV Index as a function of ozone and SZA at 1AU (altitude 0.00 km, aerosol optical depth 0.00, albedo 0.05)

Ozone (DU) Solar zenith angle ( 1)

0.00 10.00 20.00 30.00 40.00 50.00 60.00 70.00 80.00 90.00

100 43.47 41.90 37.43 30.69 22.65 14.65 7.82 3.11 0.74 0.05

150 28.16 27.09 24.08 19.58 14.29 9.13 4.82 1.92 0.47 0.03

200 20.16 19.39 17.19 13.93 10.13 6.46 3.42 1.37 0.35 0.02

250 15.42 14.82 13.13 10.63 7.74 4.94 2.63 1.08 0.28 0.02

300 12.35 11.87 10.52 8.52 6.21 3.98 2.14 0.89 0.24 0.02

350 10.23 9.84 8.72 7.08 5.17 3.34 1.81 0.77 0.21 0.02

400 8.71 8.37 7.43 6.04 4.43 2.87 1.58 0.68 0.19 0.02

450 7.56 7.28 6.46 5.27 3.87 2.53 1.40 0.61 0.18 0.01

Table 3 RAFs for several action spectra

Effect RAF for Jan RAF for July

301N, 290DU 301N, 305DU

Erythema 1.1 1.2

DNA damage 2.0 1.9

Caldwell’s generalized plant

damage

2.0 1.6

Tropospheric photolysis:

O3 þ hn ! Oð1DÞ þO2

2.1 1.8

Phytoplankton motility inhibition 1.9 1.5

Damage to cornea of the eye 1.2 1.1

Damage to lens of the eye

(cataract)

0.8 0.7

Immune suppression damage 1.0 0.8

UV-A (315–400nm) 0.03 0.02

UV-B (290–315nm) 1.25 0.99

UV-B (290–320nm) 0.87 0.71

0 1 2 3 4 5 6 7

kJ m_2 day
_1

>

Figure 2 Global mean daily UV erythemal dose, including cloud effects from a 14-year climatology of ozone 1979–92. (Data from the

National Center for Atmospheric Research, USA).
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effects based on 14 years of measurements between
1979 and 1992 from the Total Ozone Mapping
Spectrometer (TOMS) instrument on the NIMBUS-7
satellite. The largest doses occur at the Equator,
particularly in cloud-free and high altitude regions.

In polar regions, the mean daily doses are small
because of the low Sun elevations experienced at
these locations. However, during the period of the
springtime ozone hole, UV doses in Antarctica can
be comparable to those at midlatitudes.
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Figure 3 World clear sky UV Index at midday for 5 October 2000. (Data from the Australian Bureau of Meteorology.)
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While these global products have been validated at a
few locations, the sensors used do not sample radia-
tion from the boundary layer. Consequently, a con-
stant extinction by tropospheric aerosols is often
assumed, so the products are unable to resolve
differences due to variation in tropospheric pollution.
For example, during summer months the UV meas-
ured at the surface in unpolluted SouthernHemisphere
sites is approximately 40% greater than at equivalent
latitudes in Europe, whereas the differences derived
from satellite observation appear closer to the 15%
expected from differences in ozone and Sun–Earth
separation. Daily estimates of UV doses are available
on the internet.

In several countries, agencies provide UV Index
information to the public either through the media,
or through direct internet access. The UV Index is
calculated with radiative transfer models using meas-
ured ozone fields (usually from satellite observations).
An example of a global map of the clear-sky UV index
is shown in Figure 3. This model includes estimates of
the effects of topographical variations, leading to local
UV maxima in high-altitude regions. The map shown
is from 5 October 2000, a period when the Antarctic
ozone hole was weakening andwas displaced towards
South America, bringing enhanced UV radiation to
that sector.

For the purposes of providing forecasts of UV Index
for the next day, some agencies include refinements to
advect ozone fields and to include estimates of the
modulation by clouds. At this stage, products of this
type appear to be available on a regional basis only
(e.g. Figure 4).

For the purposes of reporting the time evolution of
UV Index from the previous day, calculated values can
be compared with observations at selected sites.
A sample of this is shown in Figure 5. This plot shows
how the presence of clouds can increase or decrease the
instantaneous UV irradiances. The morning was
overcast, resulting in reduced UV irradiances. During
the period when the clouds cleared around midday,
there were large departures about the clear-sky
predictions in both senses. This was followed by a
period of several hours in the afternoon when there
was good agreement between the clear-sky model and
the measurements.

Long-Term Trends

Since satellite observations of ozone began, significant
decreases in ozone amounts have been observed
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outside the tropical region. These have been most
pronounced at high latitudes, particularly in the
Southern Hemisphere. Prior to 1990, there were few
reliable long-term measurements of UV available.
Since then there has been a rapid growth in instrument
development and deployment. These instruments
range from those that continuously monitor weighted
UV irradiances at low spectral resolution through
to scanning spectrometers which acquire UV irradi-
ances at spectral resolutions less than 1 nm. How-
ever, because of the difficulties of maintaining instru-
mentation to measure UV with sufficient accuracy,
and because of natural variability in cloud cover,
there have been few measurements which have
clearly demonstrated the expected increases in UV
radiation resulting from ozone depletion. Usually it is
necessary to restrict the data set to demonstrate
the increases in UV due to ozone while suppressing
the variability due to clouds. Figure 6 shows one
example to illustrate the long-term reductions in
ozone and the attendant changes in peak summertime
erythemalUV that have occurred at a clean site inNew
Zealand (451 S).

Glossary

1AU 1 Astronomical Unit5 the mean Earth–Sun
separation.

Dobson Unit Unit for total column ozone (1DU5
2.69� 1016 molecule cm�2). A column amount of
300DU which is a typical global average corre-
sponds to a 3mm layer of pure ozone at standard
temperature and pressure.

RAF radiative amplification factor.
SZA solar zenith angle: the angle between the
local vertical and the Sun (SZA5 90� solar
elevation).

SPF sun protection factor (for sunscreens).
TOMS Total Ozone Mapping Spectrometer (a satel-
lite-borne ozone sensor).

TOVS Tiros Operational Vertical Sounder (a satel-
lite-borne ozone sensor).

See also

Ozone: Ozone as a UV Filter. Radiation (Solar).
Radiative Transfer: Cloud-radiative Processes;
Scattering. Solar Terrestrial Interactions. Ultraviolet
Radiation.
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VALLEY WINDS
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Introduction

Thermally drivendiurnalwind systems are observed in
nearly all valleys on Earth. Slope winds blow up and
down the side walls of the valley. Valley winds blow
parallel to the valley’s axis. As a rule, these winds are
directed up the valley during daytime and downward
during the night. The terminology is somewhat con-
fusing, because not only local populations have
sometimes given specific names to valley winds, but
also because a variety of names have been used in the
scientific literature as well. A few examples are
presented in Figure 1. Here we adopt the names
up(down)slope, up(down)valley wind.

In general, the horizontal scale of a valley wind
system is equal to the length of the valley. The diurnal
circulation in long valleys like the Alpine Inn valley or
the Kali Gandaki valley in Nepal extends over most of
the valley’s length of, say, 100 km, while shorter
valleys like the Dischma valley in Switzerland or the
Brush Creek valley in California support a wind
system of, say, 10 km length. It is more difficult to
assign a characteristic depth to these flows. In many
cases, the vertical extent of valley flows comes close to
the depth of the valley. However, there are many
exceptions to this rule, particularly at night time when
the outflow may be rather shallow. In general, slope
circulations are not deep. Upslope layers may have a
depth of � 100m, downslope layers even less.

In densely populated valleys, these winds can be
important for the ventilation of the valley atmosphere
and for the removal of pollutants. In some cases, like
the Himalayan Kali Gandaki valley, the upvalley
winds are so strong thatwork in the fields is impossible
during the hours of peak intensity.

Theories of these circulations must include the
impact of topography on the atmospheric heating, the
related generation of slope winds and their interaction
with the valley winds.

Observations

Most data on valley winds have been collected in
specific and relatively short field campaigns, but there
are also observational networks where relevant data
are collected routinely. Wind observations in the Inn
valley in Austria have the longest tradition and were
initiated early in the twentieth century. The relief of
Tyrolia, with the Inn as the main river is shown in
Figure 2. The valley is narrow near Landeck but
widens toward the east. The river leaves the Alpine
regionnearKufstein.Crest heights are roughly 2000m
above the valley bottom. The upvalley winds set in
at noon in winter and cease late in the afternoon
(Figure 3). In summer, the duration of the upvalley
wind regime is longer. Wind speeds are about 3m s� 1

in the climatological mean but may be stronger under
favorable conditions (Figure 4). Transitions from
upvalley to downvalley winds and vice versa are
generally smooth. Inflow to the Inn valley or the
Dischma valley during the day must be balanced by
outflow higher up. The inflow layer may be as deep as
the valley, so this compensating return flow must be
located above crest level. Wind speeds of the return
flow are less than those of the inflow because the
outflow spreads over a much wider domain. For
example, the Inn valley in Figure 2 is just one of the
majorAlpine valleys. Their combined inflowgenerates
a diurnal circulation of the Alps with outflow of
Alpine scale.

The valley circulations must be driven by pressure
differences such that the pressure in the Alpine
foreland is relatively low (high) during the night
(day). Indeed, the pressure difference betweenMunich
in the foreland (see Figure 2) and Innsbruck exhibits a
distinct diurnal cycle with high values of � 1hPa
around noon (sunny days). As an example, diurnal
variations of pressure are shown in Figure 5 as
averaged over six fair-weather days at three stations,
in the Inn valley, at Munich and at Zugspitze. At
midnight, the pressure is lowest inMunich and highest
in Landeck to thewest of Innsbruck (see Figure 2). The
pressure drops substantially in the afternoon both in
Landeck and Innsbruck, so that the sign of the pressure
difference between valley and forelands is reversed. At
1600, the pressure inMunich is�2 hPa higher than in

Downvalley wind
Mountain wind

Upvalley wind
Valley wind

Anabatic wind

Upslope wind

Katabatic wind

Downslope wind

Figure 1 Wind system terminology. In addition, the term ‘drain-

age wind’ is often used both for downslope and downvalley winds.
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Figure 2 Relief of the Tyrolean Alps, with the Inn valley draining into the Bavarian foreland to the north. I, Innsbruck; K, Kufstein;

L, Landeck; Mm, 80 km to Munich; S, Schwaz; Z, Zugspitze. (Reproduced with permission from Vergeiner and Dreiseitl (1987).)
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Landeck.On the other hand, there is almost no change
of the pressure at Zugspitze, that is, at crest level.

Given the limited vertical extent of the valley wind
system and the absence of any appreciable variation of
pressure atZugspitze, thehydrostatic equation leads one
to expect that the diurnal range of temperature of the
atmosphere in and above Innsbruck must be larger than
that above Munich, with noons in Innsbruck being
warmer, nights colder.Thishasbeen found tobe the case.

The slope wind circulation in valleys develops simul-
taneously with the along-valley circulation. Wind roses
at the mouth of the Dischma valley in Switzerland are
shown in Figure 6. The winds at the valley bottom are
directed almost exactly upvalley or downvalley. By and
large, upslopewinds are dominant during the day at the
slope stations, downslope winds prevail during the
night.However, it is also clear that a strict separation of
valley wind and slope wind is impossible. Upslope
winds also exhibit an upvalley component.

Driving Mechanisms

Radiation is the basic process that stimulates valley
wind systems. The incoming solar radiation is the
primary source in the radiation budget of the ground
and leads to a rise of the surface temperature during
the day. The energy fluxes at two sites in the semiarid
Brush Creek valley are presented in Figure 7 for a day
in September. Fluxes at an east-facing slope are given
by the solid lines, those at a station at the valley bottom
are represented by the dashed lines. The net radiation
Qn is larger and positive in the morning at the east-
facing slope. This site is in the shade early in the
afternoon. Peak insolation occurs at noon at the valley
bottom. Outgoing long-wave radiation is the main
reason for the nocturnal cooling of the ground. The
ground heat fluxQG is negative during the day, that is,
the soil is heatedup.TheBowenratio, i.e., the ratioof the
fluxes of sensible heatQH and latent heatQE near the
surface is of key importance to the valley winds during
the day. The larger the ratio, the more energy is
available for the direct sensible heating of the valley
atmosphere. On the other hand, latent heat is rarely
released in the valley and therefore does not contribute
to the generation of buoyancy in the valley atmosphere
and hence to that of upvalley winds. The fluxes QH

and QE in Figure 7 are directed from the ground into
the atmosphere and are, therefore, negative. The
Bowen ratio is quite large before noon at the slope
site. The latent heat fluxes QE are more important at
the valley floor site, which is located in a wheat grass
meadow. Nevertheless, sensible heat fluxes are larger
there as well. At night, the fluxes of latent and sensible
heat tend to be small. However, all these remarks also

apply to stations in the semiarid foreland, and there-
fore, do not explain why we observe these slope and
valley winds.

The basic mechanism of slope wind generation can
be elucidated by applying rather simple geometrical
concepts. Consider a cross-section of a valley and
assume that there exists a height h above which the
impact of the valley is not felt (Figure 8). For example,
the height of Zugspitzewould be a good choice of h for
the Inn valley (see Figure 5). Consider two volumes of
air, the one (Vs) extending from the slope to height h,
the other (Vb) from the valley floor. If these volumes
are of identical width and length, the energy of the
solar radiation coming in through the upper boundary
is the same for both volumes. If the Sun is in the zenith,
the energy received at the surface is the same for both
volumes. If, finally, the same fraction of this energy is
redistributed to the air in the form of fluxes of sensible
heat, both volumes receive the same amount of energy.
However, the mass of the atmospheric column above
the slope is less than that above the valley floor, so we
must expect that the temperature of the air above the
slope rises more quickly than that over the valley
bottom. Once there is a horizontal temperature
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difference, the related pressure difference will cause a
wind to blow.Wemay anticipate a circulation as given
in Figure 8with inflow toward the slope at low levels,
upslope winds, and outflow below the height h.
However, it is not only the difference of volumes that
is important but also the difference in terrain height.
After all, the heat fluxes from the ground are not
immediately distributed over the respective volumes
Vs and Vb. Instead, layers near the ground are heated
first. Consider then a situation at height h0, where h0 is
large enough that the heating of the valley bottom is
not yet felt at height h0 above the valley floor. A
boundary layer will form along the slope where fluxes
QH from the slope induce a warming. Then the air at
height h0 is warmer close to the slope than above the
valley bottom. This difference of temperature will

induce a circulation. These are the basic mechanisms
of the slope wind circulation.

The same reasoning canbe applied to valleys and the
foreland (Figure 9). Again, the volumeVv of air heated
above the valley is smaller than thatVf above the plain
and therefore the valley atmosphere must be warmer
during the day and the pressure in the valley must be
lower. This is what we see in Figure 5. Correspond-
ingly there is air flow into the valley. Mass continuity
requires that air must flow out from the valley as well.
For that reason, there is outflow at higher levels in
Figure 9. As has been mentioned, these outflows are
notoriously difficult to observe. They are not restricted
to the valley proper and therefore do not have the form
of a jet. This is why there are three outflow arrows in
Figure 9.
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The term ‘topographic amplification factor’ ðAÞ has
been coined for this simple explanation of valley
winds. This factor is essentially the ratio of a volume
above the foreland to another one in the valley, both
extending to the same height. In particular,A ¼ Vf=Vv

is the amplification factor related to h. The larger A,
the stronger the valley winds.

Theories

Consider a slope as in Figure 8 and assume that the Sun
has heated the ground so that Ts is the deviation of the

temperature at the slope from the temperature T0 in
the valley atmosphere off the slope. Assume, more-
over, that the slope is infinitely extended and that the
flow is steady. Then the equations for this situation can
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above which the impact of the heating is not felt.

Vb Vs

h

Figure 8 Air flow in a cross-section covering a volume Vs above
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be cast in the form of eqns [1] and [2].

T̂Tg sin aþ K
q2

qz2
ûu ¼ 0 ½1�

ûu
N2

g
sin aþ K

q2

qz2
T̂T ¼ 0 ½2�

In these equations, ûu is the velocity parallel to the slope
of inclination a (upward positive), T̂T ¼ ðT � T0Þ=T00

is the normalized deviation of the temperature from
that of amean state at rest (T00 reference temperature).
The z-axis is oriented normal to the slopewith z ¼ 0 at
the slope. The equation of motion [1] expresses a
balance of the acceleration due to buoyancy and that
due to turbulent diffusion ofmomentumnormal to the
slope with constant eddy diffusivity K. The heat
equation as represented by eqn [2] tells us that the
adiabatic cooling due to ascent along the slope is
balanced by turbulent diffusion of temperature, where
N is the Brunt–Väisälä frequency. Boundary condi-
tions are given by eqns [3] and [4].

T̂T ¼ Ts

T00
; ûu ¼ 0 at z ¼ 0 ½3�

T̂T ¼ 0; ûu ¼ 0 at infinity ½4�
Equations [5] and [6] are the solution to this problem,
with the characteristic depth D given by eqn [7].

T̂T ¼ Ts

T00
cos

z

D

� �
exp � z

D

� �
½5�

ûu ¼ Tsg

T00N
sin

z

D

� �
exp � z

D

� �
½6�

D ¼ 2k

N sin a

� �1=2

½7�

One obtains D � 75m for K ¼ 10m2 s�1; N ¼
10�2 s�1; a ¼ 20�. It is seen from eqn [6], with
Ts > 0, that ûu > 0 for zopD, so that the depth of the
upslope flow is� 240m in this case. There is a layer of
weak downslope flow above this upslope wind layer
(Figure 10). The temperature deviation has a maxi-
mum at the slope and decreases with increasing
distance to the slope. One finds T̂T ¼ 0 at z ¼ pD=2
and T̂To0 above that level (Figure 10). At night K is
quite small, so that D is also smaller than during the
day. Otherwise, the signs are reversed compared to the
day, with cool air flowing down the slope.

Of course, eqns [5] and [6] capture only the most
basic features of slope wind layers. More elaborate
theories relateK to the flow, include entrainment of air

fromabove the slopewind layer, anddealwith the flow
evolution along a slope.

Cross-valley Circulation

The downslope winds above the layer of upslope wind
layer in eqn [6] are unrealistic and reflect aweakness of
the model linked to the assumption that the slope is
infinitely extended. In reality, slopes are part of a valley
and the downward flowoccurs not immediately above
the upslope wind layer but in the valley atmosphere
proper. A simple model of this circulation is presented
in Figure 11. The air is ascending in the shallow slope
wind layers and descending in the wider domain
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day.D is the depth scale of the slopewind layer (see eqn [7]);MS is

the mass flow in this layer (see eqn [8]); B is the valley width; wv is

the downward velocity in the valley (eqn [9]).
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outside these layers. We assume that eqn [6] is a
reasonably good estimate of the flow in the slope wind
layer. It is certainly not valid near the valley floor,
where the air flowmust enter the slope wind layer, and
on top, where the upslope flow turns back to the valley
atmosphere. Given the small depth of the slope wind
layer, we may also assume that the assumption of
steady state is valid for the slope layer. Let us now
consider the mass balance at height z (see Figure 11).
The mass flow in the slope wind layer can be derived
from eqn [6] and eqn [8] (r0 density; g � 1

2).

Ms ¼ r0

Z pD

0

ûudz ¼ gr0
TsgD

T00N
½8�

This upward flow must be balanced by descent in
the valley atmosphere so that the downward velocity is
given by eqn [9], where B is the valley width and
pD � B.

wv ¼ � 2Ms

ðBr0Þ
½9�

This descent goes with adiabatic warming and, there-
fore with an increase of the temperature in the valley.
Thus we have eqn [10] with T0 � T00.

q
qt

T0 ¼ 2gTs
DN

B
½10�

From eqn [10] one finds a heating rate of�3Kh�1 for
a width B ¼ 5km if the slope is 5K warmer than the
valley atmosphere. In other words, the heating of the
slope wind layer is rapidly transformed into a heating
of the valley atmosphere. By and large, the simple
formula [10] explains why the daily range of temper-
ature in Innsbruck is larger than in Munich.

With eqn [10], we are even able to estimate the
strength of the winds along the valleys. Assuming a
diurnal variation of the temperature Ts at the slopes,
the surface pressure in the valley can be calculated
using the hydrostatic assumption. The result is dis-
played in Figure 12, to be compared with the curves in
Figure 5. The theory overestimates the positive pres-

sure deviations at sunrise but is correct in predicting
the pressureminimum late in the afternoon. Assuming
adistance of 60 kmfrom Innsbruck to the foreland, the
acceleration of the valley winds due to the pressure
gradient can be calculated as well as a damping due to
friction. The resultingwind velocities are in agreement
withFigure 4, but the onset of the upvalleywinds is too
late, as is the cessation of the upvalley wind regime.

More advanced theories have to include tributaries
and the actual shape of valleys.

Other Phenomena

Flows above the Valley

Most of the phenomena described so far occur on fair-
weather days where there is little flow above the valley
and where the diurnal valley winds develop without
external perturbations. However, days when large-
scale weather systems dominate are by no means
exceptional at mid-latitudes. Assume westerly flow
above a northward oriented valley (Figure 13). This
flow is normally geostrophic, so that there is an
imposed pressure gradient along the valley for geo-
strophic flow across it. The westerly geostrophic flow
above a valley of width B in Figure 13 is linked to a
large-scale pressure field where the pressure decreases
towards the north in the Northern Hemisphere. This
pressure field accelerates the air in the valley toward
the north. Such effects can be observed in wide valleys
like the upperRhine valleywith itswidth of 30–40 km.
The valley is oriented north–south. Figure 14 shows
the observed relative frequency of surface wind
directions as a function of the geostrophic wind
direction. The flow in the valley appears to follow
the rule suggested by Figure 13. Westerly flow aloft
induces southerly flow in the valley; easterly flow aloft
goes with northerlies in the valley. A closer inspection
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of the problem shows that, for example, the strengthU
of the ambient winds is also important. If, in partic-
ular, the westerlies are strong, sweeping will occur,
whereby the air in a valley is swept out of it and
westerlies are observed in the valley. Figure 13 tells us,
however, that this sweeping rarely occurs in the Rhine
valley.

Changes of Valley Width

In general, valleys widen on the way down, but there
are many occasions where the valleys contract so that
the cross-sectional area through which the valley
winds have to blow is reduced. A similar situation is
found at mountain passes. As a rule, the valley flow
accelerates in such a gap, at least if the overall flow
speed is not too large. Under favorable circumstances,
the accelerations are quite large and rather violent flow
is encountered downstream of the contraction. For
example, the mistral is a strong wind blowing south-
ward through the north–south oriented Rhône valley
in France. Figure 15 shows vertical profiles of thewind
speed in Satolas upstream of the contraction, in the
contraction (Valence), and immediately downstream
(Orange). The acceleration is obvious, as is the fact
that the largest velocities are observed downstream of
the contraction.

A particularly striking case of flow acceleration is
observed in the Kali Gandaki valley inNepal. The Kali
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Gandaki river originates near Tibet and flows south-
ward through the relatively wide Mustang basin to
reach the barrier of the Himalayas near the village of
Marpha. The valley becomes narrow and extremely
deep to the south of Marpha. Late in the morning,
strong upvalleywinds are observed that become rather
violent to the north of Marpha with typical velocities
�20m s�1. This acceleration occurs where the valley
is widening and the flow is entering theMustang basin
of 15 km width. A numerical simulation of this
phenomenon is shown in Figure 17.

Frontal Passage in Valleys

The circulation along a front is normally governed by
geostrophic dynamics, that is, the Earth’s rotation is of
great importance to the winds parallel to the front. On
the other hand, time and space scales of valley flows
are too short for the Earth’s rotation to be felt there. If,
then, a cold front reaches a mountain massif, the cold
air will flow into the valley but the geostrophic
constraints that were important in the foreland do
not act in the valley. The following example of frontal
propagation in a valley was observed in the Loisach
valley, which connects the town of Garmisch with the
Alpine foreland. The pressure difference between the
station at Uffing (U) in the foreland and Garmisch (G)
is displayed in Figure 16 during the passage of a cold
front to the north of the Alps. There is no pressure
difference between the stations before the front arrives
in Uffing. The pressure difference jumps up by 2 hPa
when the front reaches Uffing at �1130 (CET). The
wind speed in Garmisch is small at that time. The cold
air is then propagating southward to Garmisch to
reach this station shortly after 1200. Winds become
stronger at that time. However, it is surprising that the
pressure difference hardly decreases when the cold air
arrives in Garmisch. A closer analysis of this case
reveals that the slow decrease of the pressure differ-
ence in the afternoon is due to the fact that the cold air
does not pile up in Garmisch but flows further on into
theAlps. It takes some time for the cold air to reach the
same depth in Garmisch as in Uffing. This appears to

be a general feature of frontal propagation in valleys.
The cold air moves in these valley like water in a maze
of channels.

Fiords

Muchofwhat has been said about valleywinds applies
to fiords as well. There are sidewalls with a slope wind
circulation, and there is flow above that affects the
circulation in the fiord.Of course, the bottomof afiord
is flat and cool. This impedes the evolution of strong
upvalley winds in fiords. On the other hand, strong
and even violent winds have been reported in fiords.
There is some similarity of these storms to the violent
winds in the Rhône valley described above.

Modeling

Numerical modeling of valley winds has evolved over
the years much in line with the development of
mesoscale modeling. Nevertheless, valley wind mod-
eling faces specific problems in that the terrainmust be
resolved quite well by themodel. Thus if one wishes to
model the wind system of the Inn valley, all the major
side valleys in Figure 2 have to be represented quite
well. Given the fact that typical widths of such
tributaries are about 1 km, one needs a model in
which the grid distance is at least about 500m. A
simulation model for a domain as given in Figure 2
would have to be based on a grid with about 105 grid
points at one computational level. This effort has not
been made so far. Nevertheless, many valley phenom-
ena have been simulated quite well by choosing cases
with smaller catchment areas or by using nesting
techniques. An example of an upvalley wind simula-
tionwhere the lattermethodhas beenused is presented
in Figure 17. Isolines of potential temperature are
displayed together with the wind as computed for a
section of the Kali Gandaki valley early in the
afternoon. The valley becomes rather narrow and
deep to the left (south) of the village ofMarpha, while
the valley is rather wide to the right (north). The grid
distance in this run is 800m. As has been mentioned,
extremely strong upvalley winds are common to the
north of Marpha that commence late in the morning
and continue vigorously until sunset. The simulation
suggests that these strong winds are linked to some
kind of shooting flow in which the isentropes are
strongly inclined downstream, with concomitant
accelerations of the flow. A field campaign was
conducted in the Kali Gandaki valley after the
computations presented in Figure 17 had been made.
It was found that the depth of the inflow layer, the
descent of the flow, and the maximum velocities of
�20m s�1 as displayed in Figure 17 are in good
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Figure 16 Pressure difference Dp ðhPaÞ between Uffing (U) in

the Alpine foreland and Garmisch (G) in the Loisach valley on

8 October 1987. (Reproduced with permission from Müller and

Sladkovic (1990)Meteorology and Atmospheric Physics 43: 79.)
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agreement with the observations. However, the inflow
layer turned out to be neutrally stratified, while the
model predicts stable stratification. This discrepancy
may be due to shortcomings of the parameterizations
of turbulent processes in the model, but may also
reflect the relatively coarse horizontal resolution of the
model. Many topographic features of the Kali
Gandaki valley that generate vortices and turbulence
are not resolved in the model. This, of course, affects
the structure of the boundary layer. All in all, the
model captures most of the flow features observed in
the Kali Gandaki Valley but fails partially with respect
to the boundary layers.

Concluding Remarks

As shown above, valley flows contain awide variety of
phenomena and processes. Some of these have been
explored extensively and are understood quite well.
Some, like the impact of upper-level flows, have been
investigated, mainly for wide valleys but hardly at all
for deep and narrow valleys. Others, like the role of
valley circulations in thunderstoms, have not been
studied at all. Models have been shown to be useful
tools in valley flow research, but further improvement
is needed.

See also

Boundary Layers: Complex Terrain; Convective Bound-
ary Layer; Modeling and Parameterization. Coriolis
Force. Dynamic Meteorology: Overview. Fronts. Hy-
draulic Flow. Katabatic Winds. Lee Vortices. Middle
Atmosphere: Gravity Waves. Monsoon: Overview.
MountainMeteorology.Turbulence andMixing.Tur-
bulent Diffusion.
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Introduction

Volcanic emissions have always been important to the
atmosphere of the Earth. Indeed, volcanic and seismic
activity are believed to be the source of the initial
atmosphere, beginning some4.6 billion years ago. The
principal gaseous components of the early volcanic
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emissions were, much as they are today, water (H2O),
carbon dioxide (CO2), nitrogen (N2), and sulfur (SO2

and H2S). The outgassed water condensed to form
oceans. CO2 and the sulfur gases dissolved in the
oceans, leaving N2 as the dominant gas in the
atmosphere. Noticeably absent in the emissions is
oxygen (O2), which only appeared some 3.5 billion
years ago as organisms developedwhich could convert
CO2 to organic carbon by photosynthesis thereby
producing O2.

Composition in Magma

Gases comprise approximately 1–4% of the weight of
magma ejected by volcanoes. Measurements of the
composition of magmatic gases vary widely. Table 1
shows the composition of gases in the magma of a
number of major volcanoes. As seen in the table there
can be a wide range of composition, and these values
should be considered rather uncertain. Volcanic gas is
predominantly water. The second most abundant
constituent is CO2 followed by sulfur gases (SO2 and
H2S) and HCl. Smaller amounts of carbon monoxide
(CO), hydrofluoric acid (HF), carbonyl sulfide (COS),
ammonia (NH3),H2,N2, or other trace gasesmay also
be present.

These gases may react with one another within the
magma and the relative composition may change as
the magma ascends toward the surface, with an
associated change of temperature and pressure. The
composition of magmatic gases may also depend on
the geologic or tectonic setting of the volcano. Gases
emitted from volcanoes at the junction of converging
plates have proportionately more H2O and Cl than
gases from divergent plate and hot spot volcanoes.
When plates converge, significant amounts of sea
water and oceanic crust, rich in H2O and Cl, can be
incorporated into the magma. Hot spots are persistent
(107 years ormore) areas of hotmantle extrusion at the
surface which may or may not be associated with a

plate boundary. The Hawaiian volcanoes are exam-
ples of hot spots. The composition of gases emitted by
volcanoes may be further modified by interactions
near the surface with ground-water systems or local
geology.

Clearly, a number of factors may affect the compo-
sition of gaseous volcanic emissions, many of which
are not well understood. Each volcano must be
observed to determine the individual composition of
its output.

Volcanic Contribution to Global
Sources

Emissions fromvolcanoesmay take the formof a slow,
continuous seeping of gas from a vent or fumarole or
of an energetic but sporadic eruption. Of the gases
listed in Table 1, only the sulfur gases represent a
significant contribution by volcanoes to the global
budget on an annual basis. It is estimated that
emissions from fumaroles of major volcanoes during
quiescent periods may account for more than 10% of
the natural sulfur emission. For the other gases, annual
emissions are insignificant when compared to other
sources, as may be seen in Table 2.

In a given year sulfur emissions during eruptive
periods are estimated to contribute less than 1% to the
annual, global budget (mostly as H2S and SO2).
Particular, energetic, sporadic eruptions can, however,
represent a significant portion of the annual source for
a limited period. The 1991 eruption of Mount
Pinatubo was observed to inject a mass of approxi-
mately 20Tg of SO2 into the atmosphere, approxi-
mately 6% of the global annual source.

Observations of the volcanic cloud produced by the
El Chichón eruption in 1982 showed an increase in
stratospheric HCl amounts by about 40% within the
boundary of the plume. A much smaller increase in
HCl was observed in the Mount Pinatubo plume in

Table 1 Gaseous composition of volcanic magma

Volcano/year Magma type Mass of ejected

magma (kg)

Gas composition (% volume)

H2O CO2 SO2 HCl

Pelee/1902 Andesite 82.5 10.1 0.4

Kilauea/1917 Basalt 79.3 11.6 6.5 0.05

Nyiragongo/1959 Basalt 43.2 40.9 4.4

Agung/1963 Andesite 2.4� 1012 90.0 8.0 1.0

Surtsey/1964 Basalt 2.8� 1012 86.1 5.7 2.6 1.0

Mount St Helen’s/1980 Andesite 6.5� 1011 91.6 6.6 0.6

El Chichón/1982 Andesite 1.0� 1012 84.0 10.0 1.0

Mount Pinatubo/1991 Andesite 1.0� 1016 81.6 9.2 4.6 0.3
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1991, illustrating the differences that may exist
between volcanoes.

Eruption Dynamics

The form of a volcanic emission is important in
assessing its potential impact on the atmosphere.
Gases which are slowly vented at the surface may be
efficiently oxidized or removed by rainout. H2S reacts
readily with tropospheric OH and then O2 to produce
SO2, which eventually ends up as sulfuric acid
(H2SO4). This is removed in the lower atmosphere
by rain. HCl is very soluble in water and is efficiently
removed by rain in the troposphere. Thus vent
emissions may acidify the regional rainfall or have a
local polluting effect, but are ofmuch less consequence
on the global scale. Figure 1 shows a diagram of
energetic volcanic eruption. In an energetic eruption,
magma and gases are discharged from the vent at high
velocity (up to 400m s�1). Entrainment and heating

of the surrounding air causes the plume to rise under
the effect of buoyancy. At higher altitudes the plume
reaches a neutral buoyancy level and spreads to form
an umbrella-shaped cloud. The maximum height
attained by the plume depends largely on the thermal
flux at the vent, vent geometry, stratification and
moisture content of atmosphere, and volatile content
of magma.

If the form of the emission is sufficiently explosive,
and has the appropriate geometry, large quantities
of gas and particles may be injected directly into
the stratosphere, bypassing tropospheric oxidation
and rainout. Once in the stratosphere, the volcanic
effluent becomes a global feature due to the rapid
east-to-west transport of the region and lack of
removal mechanisms. Clear examples of such
global volcanic events were the eruptions of El
Chichón in 1982 and of Mount Pinatubo in 1991,
which each injected large quantities of gas and
particles into the stratosphere. Figure 2 shows the
extent of the volcanic plume in the stratosphere from
the 1982 eruption of El Chichón. Within a few weeks,
the plumes of these eruptions encircled the globe and
evidence of their effects persisted for many years.

Figure 3 shows the integrated backscatter from a
lidar operated at NASA Langley Research Center. The
backscattered signal is an indication of the extent of
stratospheric aerosol amount. Signatures of some of
the more recent major volcanic eruptions may be seen
in the record. Currently the stratosphere is as free of
aerosols as has occurred since the beginning of these
measurements.

Table 2 Volcanic contribution to global sources

Gas Annual

volcanic

source

Annual

natural

source

Annual

anthropogenic

source

H2O 0.0006 500 H2Oyear�1 Eg

CO2 0.08 150 Cyear� 1 7Pg

H2S, SO2 28 229 Syear�1 113Tg

HCl 0.7 38 Cl year�1 6Tg
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Figure 1 Schematic diagram of an energetic volcanic eruption.
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Figure 2 Extent of volcanic cloud in the first 3 weeks after the eruption of the El Chichón volcano in April 1982. At the latitude of El

Chichón and time of year of the eruption, it took only 3 weeks for the plume to circle the globe. (Reprinted with permission from Science

221:195–197, Robock, A. and Matson, Mr 1983 AAAS.)

Stratospheric Effects

The most important atmospheric effect caused by
volcanoes is probably the introduction of aerosols to

the stratosphere.Aerosols are produced by the con-
version of gaseous H2S and SO2 into H2SO4 and
subsequently into aerosol particles composed of
H2SO4 and H2O.Energetic eruptions also may inject
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large amounts of solid particles into the stratosphere.
These particles are composed mostly of silicate dust
and ash (less than 2mmdiameter). Larger particles fall
out of the atmosphere relatively near the vent; smaller
particles may remain in the stratosphere for many
months as may be seen in Figure 3.

Volcanic aerosols can affect the radiative
heating and cooling in the atmosphere. Introduction
of H2SO4 aerosols into the stratosphere will increase
the albedo of the Earth, which is essentially the
reflectivity for incoming solar radiation. Sulfate aer-
osols are efficient scatterers but onlyweak absorbers at
solar wavelengths. Increasing the proportion of solar
radiation reflected back to space should cool the
atmosphere. The effectiveness of the sulfate aerosols
to heat the stratosphere by absorbing outgoing infra-
red radiation depends on the size of the aerosol.
Observations after the eruptions of Agung, El Chic-
hón, and Mount Pinatubo have shown that the lower
stratosphere (16–20 km) was warmed by 1–2K due to
the presence of volcanic aerosols. This topic is

discussed further in the section on the Role of
Volcanoes in Climate.

A second important role of volcanic aerosols that
are injected into the stratosphere is to serve as sites for
heterogeneous reactions which otherwise would not
occur. Heterogeneous reactions on sulfate/water aer-
osols can release chlorine from reservoir species (such
as HCl and ClONO2) and can convert reactive
nitrogen species (NO, NO2, and N2O5) into the
more stable HNO3 reservoir. Both these changes
enhance the destruction of ozone.

Further Reading

Delmelle P and Stix J (2000)Volcanic gases. In: SigurdssonH
(ed.) Encyclopedia of Volcanoes, pp. 803–815.
New York: Academic Press.

Stoiber RE (1995) Volcanic gases from subaerial volcanoes
on Earth. In: Ahrens TJ (ed.) Global Earth Physics,
pp. 308–319. Washington, DC: American Geophysical
Union.

Role in Climate
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Introduction

Explosive volcanic eruptions affect climate by inject-
ing gases and aerosol particles into the stratosphere.
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Figure 3 Integral of the aerosol backscattering coefficient at a wavelength of 694 nm from the tropopause to 30 km, recorded by the

ground-based lidar at NASA Langley Research Center (37.11N, 76.31W).
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Only if the eruption cloud is rich in SO2 will the
eruption produce a long-lived aerosol cloud, in
response to the sulfate aerosols that form over the
next few weeks. Otherwise, explosive eruptions that
only produce large ash particles, such as the 1980
Mount St Helen’s eruption, can produce a large local
weather perturbation, but do not have long-lasting
climatic effects. Some volcanoes, such as Kiluaea and
Etna, produce large quiescent tropospheric emissions
of sulfate aerosol precursors, but only if there is a
dramatic change in these emissions will climate be
changed. Stratospheric aerosol clouds last for several
years, reflecting sunlight and cooling the surface.
These clouds also absorb both solar (near infrared)
and terrestrial radiation, heating the lower strato-
sphere. Volcanic aerosols also serve as surfaces for
heterogeneous chemical reactions that destroy strato-
spheric ozone, which lowers ultraviolet absorption
and reduces the radiative heating in the lower strato-
sphere, but the net effect is still heating. As this
chemical effect depends on the presence of anthro-
pogenic chlorine, it has only become important in
recent decades. Tropical eruptions produce asymmet-
ric stratospheric heating, producing a stronger polar
vortex and associated positive mode of the Arctic
Oscillation in tropospheric circulation. This pattern is
one of enhanced warm advection over Northern
Hemisphere (NH) continents in winter, producing
winter warming after large tropical eruptions. There is
no evidence that volcanic eruptions can produce El
Niños, but ENSO variationsmust be considered when
searching the climatic record for volcanic signals, as
they have similar amplitudes and time scales.

There have been several large volcanic eruptions in
the past 250 years (Table 1), and each has drawn
attention to the atmospheric and potential climatic
effects. The 1783 Lakagı́gar eruption in Iceland
produced large effects in Europe, causing Benjamin
Franklin, the United States ambassador to France, to
publish the first paper on the subject inmore than 1800
years. The 1815Tambora eruption produced the ‘Year
Without a Summer’ in 1816 and inspired Franken-
stein, written by Mary Shelley on the shores of Lake
Geneva, Switzerland. The 1883 Krakatau eruption
was the largest explosion ever observed, and the sound
wave was tracked on microbarographs for four
complete circuits of the Earth, taking almost 2 days
for one circuit. The Royal Society report on this
eruption published 5 years later remains the most
extensive report on the atmospheric effects of a
volcanic eruption. The 1963 Agung eruption pro-
duced the largest stratospheric dust veil in more than
50 years in the NH, and inspired many modern
scientific studies. The subsequent 1982 El Chichón
and 1991 Mount Pinatubo eruptions produced very

large stratospheric aerosol clouds and large climatic
effects. Quantification of the size of these eruptions is
difficult, as different measures reveal different infor-
mation. For example, one could examine the total
mass ejected, the explosiveness, or the sulfur input to
the stratosphere.

Volcanic Emissions

Volcanic eruptions inject several different types of
particles and gases into the atmosphere (Figure 1).
These volatile inputs can be assessed based on meas-
urements fromactive, but not explosive, eruptions and
remote sensing of the resulting aerosol clouds from
lidar, radiometers, and satellites. The Total Ozone
Mapping Spectrometer (TOMS) satellite instrument is
an important tool, as it can also monitor SO2,
allowing us to directly measure stratospheric injection
of gases from eruptions. The Stratospheric Aerosol
and Gas Experiment (SAGE) series of limb-scanning
instruments provides the longest series of profiles of
volcanic aerosols in the stratosphere.

The major component of volcanic eruptions is from
the matter that emerges as solid, lithic material or
solidifies into large particles, which are referred to as
ash or tephra. These particles fall out of the atmos-
phere very rapidly, on time scales of minutes to a few
days, and thus have no climatic impacts. When an
eruption column still laden with these hot particles
descends down the slopes of a volcano, this pyroclastic
flowcanbe deadly to those unlucky enough to be at the
base of the volcano. The destruction of Pompeii and
Herculaneum after the AD 79 Vesuvius eruption is the
most famous example.

Table 1 Major volcanic eruptions of the past 250 years

Volcano Year of eruption

Lakagı́gar (Laki craters) or

Skaftáreldar (Skaftá fires), Iceland

1783

Tambora, Sumbawa, Indonesia 1815

Cosiguina, Nicaragua 1835

Askja, Iceland 1875

Krakatau, Indonesia 1883

Okataina (Tarawera), North Island,

New Zealand

1886

Santa Maria, Guatemala 1902

Ksudach, Kamchatka, Russia 1907

Novarupta (Katmai), Alaska,

United States

1912

Gunung Agung, Bali, Indonesia 1963

Mount St Helen’s, Washington,

United States

1980

El Chichón, Chiapas, Mexico 1982

Mount Pinatubo, Luzon, Philippines 1991
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Volcanic eruptions typically also emit gases, with
H2O,N2, andCO2 being themost abundant.Over the
lifetime of the Earth, these gases have been the main
source of the planet’s atmosphere and ocean, after the
primitive atmosphere of hydrogen and heliumwas lost
to space. Thewater has condensed into the oceans, the
CO2 has been changed by plants into O2 or formed
carbonates that sink to the ocean bottom, and some of
the C has turned into fossil fuels. Of course, we eat the
plants and animals that eat the plants, we drink the
water, andwebreathe the oxygen, so each of us ismade
of volcanic emissions. The atmosphere is now mainly
composed of N2 (78%) and O2 (21%), both of which
had sources in volcanic emissions.

Of these abundant gases, both H2O and CO2 are
important greenhouse gases, but their atmospheric
concentrations are so large (even for CO2 at only
372 ppm) that individual eruptions have a negligible
effect on their concentrations and do not directly
impact the greenhouse effect. Rather the most impor-
tant climatic effect of explosive volcanic eruptions is
through their emission of sulfur species to the strato-
sphere, mainly in the form of SO2, but possibly
sometimes asH2S.These sulfur species reactwithH2O
to form H2SO4 on a time scale of weeks, and the
resulting H2SO4 aerosols produce the dominant
radiative effect from volcanic eruptions. The 1982
El Chichón eruption injected 7Tg of SO2 into the
atmosphere, and the 1991 Pinatubo eruption injected
20Mt.

Once injected into the stratosphere, the large
aerosol particles and small ones being formed

by the sulfur gases are rapidly transported
around the globe by stratospheric winds. Observa-
tions after the 1883 Krakatau eruption showed that
the aerosol cloud circled the globe in 2weeks. Both the
1982 El Chichón cloud and the 1991 Pinatubo cloud
circled the globe in 3 weeks. Although El Chichón
(171N) and Pinatubo (151N) are separated by
only 21 of latitude, their clouds, after only one circuit
of the globe, ended up separated by 151 of latitude,
with the Pinatubo cloud straddling the Equator and
the El Chichón cloud extending approximately from
the Equator to 301N. Subsequent dispersion of a
stratospheric volcanic cloud depends heavily on the
particular distribution of winds at the time of erup-
tion. In trying to reconstruct the effects of older
eruptions, dispersion adds a further complication,
as the latitude of the volcano is not sufficient
information.

Quiescent continuous volcanic emissions also add
sulfates to the troposphere, but their lifetimes there are
much shorter, although longer than anthropogenic
sulfates as they are emitted from the sides of moun-
tains rather than at the surface. The local pollution
produced by the emission of the Kilauea crater on the
Big Island of Hawaii is called ‘vog’ (volcanic fog).
Global sulfur emission of volcanoes to the troposphere
is about 14% of the total natural and anthropogenic
emission, cooling the surface. Only if there is a long-
term trend in these emissions will they be important
for climate change; nevertheless, they must be consid-
ered when evaluating the effects of anthropogenic
sulfate emissions.
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Figure 1 Schematic diagram of volcanic inputs to the atmosphere and their effects. (Adapted with permission from Plate 1 of Robock
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Radiative Interactions and Climate
Forcing

The major effect of a volcanic eruption on the climate
system is the effect of the stratospheric cloud on solar
radiation (Figure 1). Some of the radiation is scattered
back to space, increasing the planetary albedo and
cooling the Earth–atmosphere system. The sulfate
aerosol particles (typical effective radius of 0.5 mm,
about the same size as visible light) also forward
scatter much of the solar radiation, reducing the direct
solar beam but increasing the brightness of the sky.
After the 1991 Pinatubo eruption, the sky around the
sun appeared more white than blue because of this.
Figure 2 illustrates this effect using observations from
the Mauna Loa Observatory in Hawaii. After the El
Chichón eruption of 1982 and the Pinatubo eruption
of 1991, the direct radiationwas significantly reduced,
but the diffuse radiation was enhanced by almost as
much. Nevertheless, the volcanic aerosol clouds
reduced the total radiation received at the surface.
Although the El Chichón radiative effect at Hawaii
was larger, this is because itwas centered at the latitude
of Hawaii, while only the edge of the larger Pinatubo
cloud was monitored.

As the sun sets, the red beam (because Rayleigh
scattering removes the shorter wavelengths in the

process that produces the blue sky) is reflected from the
bottom of stratospheric volcanic clouds, producing a
characteristic red sky one half to one hour after the
time of sunset. This effect has been used in the past to
detect distant eruptions and to estimate the height of
the aerosol cloud and its extent.

Climatic Impact of Volcanic Aerosols

Stratospheric aerosol clouds from volcanic eruptions
cool the Earth’s surface for several years, but produce
winter warming over the continents in the NH. These
and other effects are summarized in Table 2. Volcanic
aerosols can be important causes of temperature
changes for several years following large eruptions,
and even on a 100-year time scale they can be
important when their cumulative effects are taken
into account. This is very significant in analyzing the
global warming problem, as the impacts of ant-
hropogenic greenhouse gases and aerosols on climate
must be evaluated against a background of continued
natural forcing of the climate system from volcanic
eruptions, solar variations, and internal random
variations from land–atmosphere and ocean–atmos-
phere interactions. Individual large eruptions produce
global or hemispheric cooling for 2 or 3 years, but the
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The reduction of direct radiation and enhancement of diffuse radiation after the 1982 El Chichón and 1991 Pinatubo eruptions are clearly

seen. Years on abscissa indicate January of that year. (Data courtesy of E Dutton. Figure 4 from Robock (2000), r owned by the

American Geophysical Union.)
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winter following a large tropical eruption is warmer
over the NH continents, and this counterintuitive
effect is due to a nonlinear response through atmos-
pheric dynamics. The winter warming pattern is
illustrated in Figure 3, which shows the global lower
tropospheric temperature anomaly pattern for theNH
winter of 1991–92, following the 1991 Mount Pina-
tubo eruption. This pattern is closely correlated with
the surface air temperature pattern where the data
overlap, but the satellite data allow global coverage.
The temperature over North America, Europe, and
Siberia was much higher than normal, and that over
Alaska, Greenland, the Middle East, and China was
lower than normal. In fact, it was so cold that winter
that it snowed in Jerusalem, a very unusual occur-
rence. Coral at the bottom of the Red Sea died that
winter, because the water at the surface cooled and
convectively mixed the entire depth of the water. The
enhanced supply of nutrients produced anomalously
large algal and phytoplankton blooms, which smoth-
ered the coral. This coral death had only happened
before in winters following large volcanic eruptions.

At the tropopause, the boundary between the
troposphere and stratosphere, the strongest winds
are found in the midlatitudes in the winter and are
called the jet stream or polar vortex. The strength of
the jet stream depends on the temperature difference
(gradient) between the tropics and the polar region,
which is largest in the winter when the polar regions
cool. For a tropical eruption, the stratospheric heating
from volcanic aerosols is larger in the tropics than in
the high latitudes, producing an enhanced pole-to-
Equator temperature gradient, and in theNHwinter, a
stronger polar vortex and winter warming of NH
continents. The stronger jet stream produces a char-
acteristic wind pattern in the troposphere, which
warms some regions and cools other ones. This pattern
is called the ‘Arctic Oscillation’ and is the dominant
mode of tropospheric variability. Tropical eruption
clouds push the atmosphere into the positive phase of
this natural variation. This indirect advective effect on
temperature is stronger than the radiative cooling
effect that dominates at lower latitudes and in the
summer.

Table 2 Effects of large explosive tropical volcanic eruptions on climate

Effect/Mechanism Begins Duration

Stratospheric warming/Stratospheric absorption of short-wave and

long-wave radiation

1–3 months 1–2 years

Global cooling/Blockage of short-wave radiation Immediately 1–3 years

Global cooling from multiple eruptions/Blockage of short-wave radiation Immediately Up to decades

Winter warming of NH continents/Differential stratospheric heating, dynamical

interaction with troposphere

1
2–1

1
2 years 1 or 2 winters

Ozone depletion, enhanced UV/Dilution, heterogeneous chemistry

on aerosols

1 day 1–2 years
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Because volcanic aerosols normally remain in the
stratosphere no more than 2 or 3 years, the radiative
effect of volcanoes is interannual rather than inter-
decadal in scale. A series of volcanic eruptions could,
however, raise the mean optical depth significantly
over a longer period and thereby give rise to a decadal-
scale cooling. If a period of active volcanism ends for a
significant period, such as for the 50-year period from
1912 to 1963 when global climate warmed, the
adjustment of the climate system to no volcanic
forcing could produce warming. Furthermore, it is
possible that feedbacks involving ice and ocean, which
act on longer time scales, could transform the short-
term volcanic forcing into a longer-term effect. As a
result, the possible role of volcanoes in decadal-scale
climate change remains unclear. However, the current
century is thewarmest of the past 10,with the previous
several centuries called the Little Ice Age due to their
coldness. Studies show that the interannual and
interdecadal variations during this periodwere strong-
ly affected by both volcanic eruptions and solar
variations. The large warming of the past century,
however, can only partially be explained by these
natural causes, and can only be well simulated by
including the effects of warming from anthropogenic
greenhouse gases.

Ozone Impacts

Volcanic aerosols have the potential to change not
only the radiative flux in the stratosphere but also its
chemistry. The most important chemical changes in
the stratosphere are related to O3, which has signif-
icant effects on ultraviolet and long-wave radiative
fluxes. The reactions that produce and destroy O3

depend on the UV flux, the temperature, and the
presence of surfaces for heterogeneous reactions, all
of which are changed by volcanic aerosols. The
heterogeneous chemistry responsible for the ozone
hole over Antarctica in October each year occurs on
polar stratospheric clouds of water or nitric acid,
which only occur in the extremely cold isolated spring
vortex in the Southern Hemisphere. Conditions in the
NH are now changing and small O3 depletions
are being observed in spring there now, too. Reactions
on polar stratospheric clouds make anthropogenic
chlorine available for chemical destruction of O3.
However, sulfate aerosols produced by volcanic erup-
tions can also provide these surfaces at lower latitudes
and at all times of the year. In fact, after the 1991
Pinatubo eruption, column O3 reduction of about
5%was observed inmidlatitudes, ranging from 2% in
the tropics to 7% in themidlatitudes. Therefore, ozone
depletion in the aerosol cloud was much larger

and reached 20%. Chemical ozone destruction is
less effective in the tropics, but lifting of low ozone
concentration layers with the aerosol cloud causes
a fast decrease in ozone mixing ratio in the low
latitudes.

Decrease of the ozone concentration following
volcanic eruptions causes less UV absorption in the
stratosphere, which modifies the aerosol heating
effect. The net effect of volcanic aerosols on the
surface UV flux is to increase it, as the aerosols
backscatter less UV than the subsequent O3 depletion
allows through. The reduced O3 absorption of short-
wave and long-wave radiation reduces the strato-
spheric heating effect and can affect the winter
warming phenomenon described above.

The volcanic effect on O3 chemistry is a new
phenomenon, depending on anthropogenic chlorine
in the stratosphere. While we have no observations,
the 1963Agung eruption probably did not depleteO3,
as there was little anthropogenic chlorine in the
stratosphere. Due to the Montreal protocol and
subsequent international agreements, chlorine con-
centration has peaked in the stratosphere and is now
decreasing. Therefore, for the next few decades, large
volcanic eruptions will have effects similar to Pina-
tubo, but after that these O3 effects will go away and
volcanic eruptions will have a stronger effect on
atmospheric circulationwithout the negative feedback
produced by O3 depletion.

Discussion

There is no evidence that volcanic eruptions produce
El Niño events, but the climatic effects of El Niño and
volcanic eruptions must be separated to understand
the climatic response to each. It had been suggested
that the simultaneous appearance of the large 1982–83
El Niño and the 1982 El Chichón eruption and the
smaller El Niño and Pinatubo eruption in 1991
suggested a cause and effect relationship. However,
no plausible mechanism has been suggested, and
further research into the oceanography of El Niños
shows that they started before the volcanic eruptions.
Examination of the entire record of past El Niños and
volcanic eruptions for the past two centuries also
shows no significant correlation.

As volcanic eruptions and their subsequent climatic
response represent a large perturbation to the climate
system over a relatively short period, observations and
the simulated model responses can serve as important
analogs for understanding the climatic response to
other perturbations. While the climatic response to
explosive volcanic eruptions is a useful analog for
some other climatic forcings, there are also limita-
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tions. For example, successful climate model simula-
tions of the impact of one eruption can help validate
models used for seasonal and interannual predictions.
But climate models cannot test all the mechanisms
involved in global warming over the next century, as
long-termoceanic feedback are involved,which have a
longer time scale than the response to individual
volcanic eruptions. On the other hand, the theory of
‘nuclear winter’, the climatic effects of a massive
injection of soot aerosols into the atmosphere from
fires following a global nuclear holocaust, includes
upward injection of the aerosols to the stratosphere,
rapid global dispersal of stratospheric aerosols, heat-
ing of the stratosphere, and cooling at the surface
under this cloud. As this theory cannot be tested in the
real world, volcanic eruptions provide analogs that
support these aspects of the theory.

Given our current understanding of the climatic
impact of volcanic eruptions, we can safely predict
that following the next large tropical eruption, there
will be global cooling for about 2 years, and winter
warming of the NH continents for 1 or 2 years.

See also

Aerosols: Climatology of Tropospheric Aerosols; Obser-
vations and Measurements; Role in Radiative Transfer.
Climate:Overview.ClimatePrediction (Empirical and
Numerical). Climate Variability: Decadal to Centennial
Variability; North Atlantic and Arctic Oscillation; Seasonal
to Interannual Variability. Global Change: Surface Tem-
perature Trends. Lidar: Backscatter. Radiative Trans-
fer: Absorption and Thermal Emission. Satellite Remote
Sensing: TOMS Ozone. Stratosphere–Troposphere

Exchange: Global Aspects. Stratospheric Chemistry
and Composition: Halogen Sources, Anthropogenic.
Stratospheric Water Vapor. Volcanoes: Composition
of Emissions. Weather Prediction: Seasonal and Inter-
annual Weather Prediction.
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Introduction

The spin of a solid body is characterized by the angular
velocity about its axis of rotation. This angular
velocity is related in a simple manner to the spin
angularmomentum,which is conserved in the absence
of torques, thus providing a powerful constraint on the
motion. Owing to the fact that, unlike a solid body, a
fluid provides little resistance to shearing deformation,
angular velocity as defined for a solid body is not a
suitable measure of rotation in a fluid. In the presence
of velocity shear, straight-line flow can have strong

local rotation, while curved flow may have zero local
rotation (Figure 1). Vorticity is a vector field which, by
providing a local measure of the instantaneous rota-
tion of a fluid parcel, plays a role in fluid dynamics
analogous to angular velocity in solid-body mechan-
ics. A related quantity called potential vorticity (see
Dynamic Meteorology:Overview) is a fluid analog to
the spin angular momentum of a solid body.

In most meteorological systems, horizontal wind
velocities greatly exceed the vertical velocity, and the
vertical component of vorticity (which depends on the
horizontal velocity field) is of primary interest. Vorti-
city has the property that it is advected by the winds,
but at the same time influences the wind distribution.
Temporal and spatial variations of vorticity play key
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roles in diagnosis of the development and evolution of
weather systems, and of the general circulation of the
atmosphere.

The Nature of Vorticity

Vorticityx, is defined as the curl of the fluid velocity. It
is thus a vector field, and has a direction and amplitude
at every point in space. Lines parallel to the vorticity
field are referred to as vortex lines, while the volume
defined by all of the vortex lines passing through a
closed loop is referred to as a vortex tube. In
meteorology it is necessary to distinguish between
the absolute vorticity xa, which is the curl of the
absolute velocity observed in a coordinate frame fixed
in space ðUaÞ, and the relative vorticity x, which is the
curl of the relative velocity observed in a coordinate
system rotating with the Earth (U, the wind velocity):

xa � =�Ua; x � =�U ½1�
In Cartesian coordinates rotating with the Earth,

with x; y; z directed eastward, northward, and upward

respectively, and with the velocity components desig-
nated byU ¼ ðu; v;wÞ, the components of vorticity are

x ¼ qw
qy

� qv
qz

;
qu
qz

� qw
qx

;
qv
qx

� qu
qy

� �
½2�

Large-scale dynamicmeteorology is concernedwith
the vertical components of absolute and relative
vorticity,which are designated by Z and z, respectively:

Z � k . ð=�UaÞ; z � k . ð=�UÞ

That vorticity is the natural measure of local fluid
rotation can be demonstrated by considering the
special case of horizontal motion with no z depend-
ence:U ¼ ðu; vÞ. In that case the relative vorticity has
only a vertical component:

z ¼ qv
qx

� qu
qy

½3�

Figure 2 shows two short line segments, radiating from
point A at ðx0; y0Þ of lengths dx and dy, which are
perpendicular to each other at time t ¼ 0. The velocity
at point A is ðu0; v0Þ. The velocity normal to the line
AB at the point x0 þ dx is v0 þ ðqv=qxÞ dx, while the
velocity normal to the line AC at the point y0 þ dy
is u0 þ ðqu=qyÞ dy. The instantaneous counter-
clockwise angular velocity of line AB is thus
½ðv0 þ ðqv=qxÞdxÞ � v0�=dx ¼ qv=qx, while for line
AC the instantaneous counterclockwise angular ve-
locity is ½�ðu0 þ ðqu=qyÞdyÞ þ u0�=dy ¼ �qu=qy. The
average of the angular velocity in the two orthogonal

(A)

(B)

Figure1 Behavior of a paddlewheel spinning about a vertical axis

under two types of horizontal flow: (A) linear jet with positive and

negative shear vorticity, (B) curved flow with zero net vorticity.

(Reproducedwithpermission fromHolton,JR (1992)An Introduction

to Dynamic Meteorology, 3rd edn. Orlando, FL: Academic Press.)
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Figure 2 Relation of vorticity in two-dimensional flow to the

instantaneous rotation of two orthogonal line segments.
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directions is thus z=2 ¼ 1
2 ðqv=qx� qu=qyÞ, that is,

one-half of the vorticity.
The difference between absolute and relative vorti-

city is the planetary vorticity, which is just the local
vertical component of the vorticity of the Earth owing
to its rotation; 2O sin f � f , where f is the latitude,
and f is referred to as the Coriolis parameter. Thus,
Z ¼ zþ f , or, in Cartesian coordinates,

z ¼ qv
qx

� qu
qy

; Z ¼ qv
qx

� qu
qy

þ f

The Relation Between Vorticity, Circulation,
and Potential Vorticity

Vorticity is related to another quantity, referred to as
the fluid circulation. Circulation, which is a scalar
integral quantity, is amacroscopicmeasure of rotation
for a finite area. Vorticity, on the other hand, is a vector
field that gives a microscopic measure of the rotation
at every point in the fluid.

The circulation, C, is defined as the line integral
about the contour, l, of the component of the velocity
vector that is locally tangent to the contour (Figure 3):

C �
I

U . dl ½4�

By convention, the circulation is evaluated by coun-
terclockwise integration around the contour. Thus,
C > 0 corresponds to a cyclonic circulation in the
Northern Hemisphere. According to Kelvin’s circula-
tion theorem, the absolute circulation (computed
using the velocity with respect to coordinates fixed in
space) is conserved following the fluid motion for
loops of fluid parcels on isobaric or isentropic surfaces.
This conservation law is somewhat analogous to
conservation of angular momentum in solid-body
mechanics.

Circulation is related to vorticity via Stokes’s
theorem, which states that

C ¼
I

U . dl ¼
Z
A

Z
ð=�UÞ . n dA ½5�

where A is the area enclosed by the contour, and the
unit normal n is defined by the counterclockwise sense
of the line integration using the right-hand thumb rule.
Equation [5] shows that the vertical components of
absolute and relative vorticity are related to the
absolute and relative circulations by

Z ¼ lim
dA!0

Ca

dA
; z ¼ lim

dA!0

C

dA
½6�

where Ca and C are the absolute and relative circula-
tions, respectively, given by line integrals over closed
loops in the horizontal plane.

For an infinitesimal parcel of air, the Kelvin circu-
lation theorem and eqn [6] imply that

Z dA ¼ ðzþ f Þ dA ¼ Const ½7�

If the atmosphere is approximated as a barotropic
layer of depth h, in which horizontal velocity is
independent of height and the density is assumed to be
constant then eqn [7] leads to a simple and powerful
conservation law. The arbitrary area in eqn [7] can be
eliminated by observing that the mass of a column of
fluid of depth h, cross-sectional area dA, and density r
is M ¼ rh dA. Since mass is conserved, this relation
can be combined with eqn [7] to show that

Z
h

� �
¼ ðzþ f Þ

h

� �
¼ Const ½8�

Thus, following the horizontal motion of a cylinder of
fluid, an increase in depth h must lead to a cor-
responding increase in the absolute vorticity. If
latitude remains constant this implies an increase in
relative vorticity. On the other hand, a decrease in
depth h requires a reduction in the absolute vorticity.
The conserved quantity in eqn [8] is referred to as the
barotropic potential vorticity. This relation shows
clearly how vertical stretching concentrates vorticity,
while vertical shrinking dilutes vorticity.

Vorticity Equation

Equation [8] states that the barotropic potential
vorticity of a fluid cylinder is conserved following
the motion. This implies that

Dh

Dt

zþ f

h

� �
¼ 0 ½9�

where the derivative is taken following the fluid
motion.

If the flow is purely horizontal ðw ¼ 0Þ, as must be
the case for a homogeneous incompressible fluid of
constant depth then eqn [9] can be simplified to obtain

dl
�

V

Figure 3 Circulation about an arbitrary closed contour.
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the barotropic vorticity equation

Dhðzþ f Þ
Dt

¼ 0 ½10�

which states that absolute vorticity is conserved
following the horizontal motion. More generally,
absolute vorticity is conserved for any fluid layer in
which the divergence of the horizontal wind vanishes,
without the requirement that the flow be barotropic.
For horizontal motion that is nondivergent
ðqu=qxþ qv=qy ¼ 0Þ, the flow field can be completely
representedby a streamfunctioncðx; yÞdefined so that
lines of constant c are parallel to the velocity vector at
every point, and the velocity V ¼ k�rc is propor-
tional to the gradient of c. The velocity components
are thus given by u ¼ �qc=qy, v ¼ þqc=qx, and
the vorticity is z ¼ qv=qx� qu=qy ¼ q2c=qx2þ
q2c=qy2 � r2c. Thus, the velocity field and the vorti-
city can bothbe represented in terms of the variationof
the single scalar field cðx; yÞ, and the barotropic
vorticity equation can be written as a prognostic
equation for vorticity in the form

q
qt

r2c ¼ �V .rðr2cþ f Þ ½11�

where V ¼ k�rc is the nondivergent horizontal
wind. This equation states that the local tendency of
relative vorticity is given by the advection of absolute
vorticity. Equation [11] can be solved numerically to
predict the evolution of the stream function, and hence
of the vorticity and wind fields. Since the flow in the
midtroposphere is often nearly nondivergent on the
synoptic scale, eqn [11] provides a surprisingly good
model for short-term forecasts of the synoptic scale
500 hPa flow field.

Vorticity Patterns in the Atmosphere

Regions of positive z tend to develop in association
with cyclonic storms in the Northern Hemisphere and
on the poleward sides of westerly jetstreams, while
regions of negative z are associated with anticyclones
and the equatorward side of westerly jetstreams. (The
signs are reversed in the Southern Hemisphere.) Thus,
the distribution of relative vorticity is an excellent
diagnostic for weather analysis. As discussed in the
previous section, absolute vorticity tends to be con-
served following the motion at mid-tropospheric
levels; this conservation property is the basis for the
simplest dynamical forecast scheme given by eqn [11].

The relationship between relative vorticity and the
relative circulationC discussed above, and the roles of
flow curvature and shear in contributing to vorticity
can be clearly seen by considering the circulation

about the closed contour shown in Figure 4. If the
circulation is computed for the infinitesimal contour
shown in Figure 4 (noting that there is no contribution
along the line segments AC and BD, because these are
perpendicular to the velocity), the result is

dC ¼ V½dsþ dðdsÞ� � V þ qV
qn

dn
� �

ds

But from Figure 4we see that dðdsÞ ¼ db dn, where db
is the angular change in the wind direction in the
distance ds. Hence,

dC ¼ � qV
qn

þ V
db
ds

� �
dn ds

or in the limit dn, ds ! 0

z ¼ lim
dn; ds!0

dC
ðdn dsÞ ¼ � qV

qn
þ V

Rs
½12�

where Rs ¼ ðqb=qsÞ�1 is the radius of curvature of the
streamlines. The net vertical vorticity component is
thus the result of the sum of two parts: (1) the rate of
change of wind speed normal to the direction of flow
�qV=qn, called the shear vorticity; and (2) the turning
of the wind along a streamline V=Rs, called the
curvature vorticity. The contributions of shear and
curvature vorticity to the pattern of vorticity on the
500 hPa isobaric surface in the atmosphere can be seen
in the vorticity map of Figure 5.

Integral Constraints on Vorticity

When the influence of the divergence and convergence
associatedwith the large-scale vertical motion is taken
into account, the vorticity equation can be rewritten as

qz
qt

¼ �= . ½ðzþ f ÞV� ½13�

V +

d (�s)

���s

�n

∂V
∂n

�n

n

V

Figure 4 Circulation for an infinitesimal loop bounded by two

streamlines and two lines orthogonal to the wind direction.

(Reproduced with permission from Holton, JR (1992) An Introduc-

tion to Dynamic Meteorology, 3rd edn. Orlando, FL: Academic

Press.)
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Equation [13] expresses the remarkable fact that if
frictional and diabatic effects are neglected then vorti-
city can be changed only by the divergence or conver-
genceof thehorizontal fluxofvorticitygiven inbrackets
on the right-hand side. The vorticity cannot be changed
by vertical transfer of vorticity across a horizontal
surface. Integration of [13] over the globe shows that
for a horizontal surface that does not intersect the
surface of the Earth the global average of z is constant.
Furthermore, integration of z over the sphere shows
that the global average z is exactly zero. Vorticity on
such a surface is neither created nor destroyed; it is
merely concentrated or diluted by the convergence or
divergence of horizontal fluxes. This last result holds
even when friction and diabatic effects are included.

See also

Dynamic Meteorology: Overview; Waves. Rossby
Waves.
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Introduction

The term Walker Circulation was first introduced in
1969 by Professor Jacob Bjerknes, referring to the
large-scale atmospheric circulation along the long-
itude–height plane over the equatorial Pacific Ocean.
The Walker Circulation features low-level winds
blowing from east to west across the central Pacific,
rising motion over the warm water of the western
Pacific, returning flow from west to east in the upper
troposphere, and sinking motion over the cold water
of the eastern Pacific. Since Bjerknes’s introduction of
the Walker Circulation, there have been reports of
similar east–west circulation cells spanning different
longitudinal sectors along the Equator. Today, the
Walker Circulation generally refers to the totality of
the circulation cells as shown in Figure 1.

Bjerknes originally named the Pacific east–west
circulation the Walker Circulation because he con-
sidered it the key part of Sir GilbertWalker’s Southern
Oscillation (see El Niño and the Southern Oscillation:
Observation). He interpreted the Walker Circulation
as an atmospheric circulation driven by the gradient of
sea surface temperature along the Equator and
suggested that the characteristics of the Walker
Circulation were largely determined by the coupling
between the tropical atmosphere and oceans.

Bjerknes’s work on the Walker Circulation marked
an important milestone toward our basic understand-
ing of the dynamics of zonal atmosphere–ocean

coupling along the equatorial PacificOcean. Although
his results were based on very limited data, Bjerknes’s
original conjecture that the year-to-year variation
of the Walker Circulation is closely tied to that
of the Southern Oscillation and El Niño has been
confirmed by a large number of observational and
modeling studies during the several decades since his
first report.

Climatology and Variability

Annual Mean

Thanks to the advance in satellite observations and
improved assimilation of observations into global
general circulationmodels, we have now amuchmore
detailed and quantitative description of the Walker
Circulation. We know that the tropical wind is made
up of rotational and divergent components. The
former is directly related to the effects of the rotation
of the Earth and the latter to the overturning
circulation, driven by atmospheric heating processes.
The Walker Circulation and associated overturnings
in the equatorial plane should refer only to the
divergent component of the wind. Figure 2A shows
the annual climatology (the mean state of all months)
of the overturning circulations along the equatorial
plane as streamlines constructed from the divergent
zonal and vertical winds. It can be seen that the major
rising branch of the Walker Circulation is found over
the western Pacific and maritime continent, with a
maximum in the upper troposphere (300–200 hPa)
over Indonesia (115–1201E). A westward tilt
with height of the ascending motion is also apparent.
Over the eastern Pacific, there is a broad region of
subsidence, with maximum descent in the coastal

High
tropospheric
isobaric
surface

Low
tropospheric
isobaric
surface

INDIAN PACIFIC ATLANTIC

0° 90° E 180° 90° W 0°
Longitude

Figure 1 Schematic view of the east–west atmospheric circulation along the longitude–height plane over the Equator. The cell over the

Pacific Ocean is referred to as the Walker Circulation. (Adapted from Webster (1983).)
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region of South America (B801W). Connecting the
ascending and descending branches are low-level
easterlies and upper level westerlies over the central
and eastern Pacific with strong low-level convergence
near 1601E.

As is evident in Figure 2A, the Walker Circulation
also includes secondary circulation cells whose rising

motions appear over the land regions of South
American and Africa, with compensating subsidence
over the Atlantic and the Indian Ocean. Compared to
the Pacific branch of the Walker Circulation, these
cells cover smaller longitude ranges and tend to have
weaker vertical motions in the annual mean climato-
logy. Also closely linked to theWalker Circulation are

100

200

300

400
500
600
700
800
900

1000

100

200

300

400
500
600
700
800
900

1000

100

200

400

500
600
700
800
900

1000

(C) July climatology

0° 60° E 120° E 180° 120° W 60° W 0°

Africa Maritime
continent

South
America

_ 0.007 _ 0.005 0.005 0.01 0.015

0° 60° E 120° E 180° 120° W 60° W 0°

0° 60° E 120° E 180° 120° W 60° W 0°

P
re

ss
ur

e 
(h

P
a)

(A) Annual climatology

(B) January climatology

Figure 2 The equatorial east–west atmospheric circulation calculated from the reanalysis of data from the US National Centers for

Environmental Prediction and National Center for Atmospheric Research. Shown are the climatologies of all months (top panel), January

(middle panel), and July (bottom panel) for the period 1949–99. The streamlines are constructed from the divergent components of the

winds (meters per second), with the values of the vertical motions multiplied by 30 times. Areas of strong upward (positive values) and

downward motions (negative values) are colored.
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the east–west circulations away from the equatorial
region in the subtropics, associated with the large-
scale monsoon circulation and the convergence of the
trade winds. Some meteorologists consider these
circulations part of the family of Walker cells.

Because of the prevailing subsidence, the atmo-
sphere over the tropical eastern Pacific is highly stable.
This stability is unfavorable to and limits the
occurrence of deep clouds and precipitation. In
contrast, over the warm pool (see Ocean Circulation:
General Processes) of the western Pacific and Indone-
sian region, the air is unstable and deep convective
clouds and heavy precipitation occur frequently. A
significant portion of latent heat associated with
cumulus convection (see Thermodynamics: Moist
(Unsaturated) Air) that drives the global atmospheric
circulation is released in the ascending region of the
Walker Circulation over the warm pool. In addition,
theWalker Circulation is associated with low sea level
pressure in the west and high pressure in the east. The
basin-wide pressure gradient is the main driving force
for the low-level zonalwind of theWalkerCirculation.
Consistent with the distribution of surface pressure
and sea surface temperature, the lower troposphere is
relatively warm in the ascending branch and cold in its
descending branch. This means that the Walker
Circulation is a thermally direct circulation, which
converts available potential energy to kinetic energy of
atmospheric motions.

Seasonal Variations

The location and intensity of the Walker Circulation
undergo large fluctuations on seasonal to interannual
time scales. Also affecting the Walker Circulation are
intraseasonal fluctuations associatedwith theMadden
and Julian Oscillation (see Tropical Meteorology:
Intra-seasonal Oscillation (Madden–Julian Oscilla-
tion)). The seasonal variation of the Walker Circula-
tion is a reflectionof the east-west swaying of the large-
scale circulation in the tropical atmosphere in
response to thermal contrasts between sea and land
induced by the annual cycle of incoming solar
radiation. In January (Figure 2B), the ascending
branch of the Walker Circulation is very pronounced
over the Indo-Pacific and maritime continent region
(60–1201E) and the descending branch over the
eastern Pacific (150–901W). The South America/
Atlantic cell is strong, with pronounced rising motion
over the north-eastern Brazil (B601W). However, the
Africa/IndianOcean cell is not very well established in
January. In July (Figure 2C), the Walker Circulation
intensifies and becomes well defined, with the rising
branch shifted eastward and concentrated near
1501E and the sinking branch over the eastern Pacific

(120–901W). The strengthening of the Walker Circu-
lation is consistent with the seasonal development of
the cold water over the equatorial eastern Pacific and
the increased sea surface temperature gradient across
the Pacific. Mid-tropospheric sinking motion is found
over the eastern Indian Ocean. This sinking motion is
connected by low-level westerly wind blowing from
the Indian Ocean toward the western Pacific, joining
the rising motion there. The overturning is completed
by the returning upper-level easterlies over the Indian
Ocean. The Indian Ocean cell is associated with
the development of the South Asian monsoon (see
Monsoon:Overview). In July, the overturning motion
over the South America/Atlantic sector is suppressed.

Interannual Variability

Figure 3A shows the Walker Circulation during
January 1998 when an El Niño event was at its
peak. Here, the east–west circulations comprising
the Walker Circulation differed significantly from the
climatology. Rising motions prevailed at almost all
longitudes. In particular, strong ascent in the mid-
troposphere replaced climatological descending
motion over the central and eastern Pacific, where
the water was anomalously warm due to El Niño. The
Walker Circulation was weakened and became less
organized. On the contrary, during January 1999
when aLaNiña, or reverse ElNiño,was at its peak, the
Walker Circulation was enhanced and became very
pronounced, with well-defined rising and sinking
branches (Figure 3B). While the Walker Circulation
and South American/Atlantic cell intensified, the
Indian Ocean cell weakened compared to the clima-
tology (seeMonsoon: ENSO–Monsoon Interactions).
Changes in the Walker Circulation between El Niño
and La Niña years shown above are accompanied by
changes in cloud and rainfall patterns. In contrast,
when the Walker Circulation weakens during an El
Niño, clouds and precipitation increase over the
central-eastern Pacific and decrease over the western
Pacific. In contrast, when the Walker Circulation
strengthens during aLaNiña, clouds andprecipitation
are enhanced over the western Pacific and Indonesian
region.

Ocean–Atmosphere Coupling

As Bjerknes postulated, theWalker Circulation and its
variations are strongly coupled to fluctuations of the
tropical sea surface temperature across the entire
Pacific basin. A climatological Walker Circulation
with strong surface easterlies maintains an equili-
brium state in the tropical atmosphere and ocean in
which the western Pacific is characterized by higher
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sea level, deeper thermocline, higher sea surface
temperature, lower atmospheric surface pressure,
and increased precipitation relative to the eastern
Pacific. During an El Niño, a relaxation of the lower
level easterlies, signaling a weakening of the Walker
Circulation, is accompanied by weaker upwelling in
the eastern Pacific, leveling of the thermocline, and
reduction of sea surface temperature gradient across
the Pacific. During a La Niña, changes of the opposite
sign occur.

The apparently self-sustaining oscillations of the
Walker Circulation stem from the interplay of various
feedback processes associated with strong coupling of
the tropical atmosphere and oceans. Warming of the
western Pacific increases the convective potential
energy of the atmosphere, resulting in deep convection
and heavy precipitation. However, themore abundant
cloud amounts associatedwith increased precipitation
reduce the incoming solar radiation, causing the sea
surface to cool, thus limiting the further development
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of atmospheric convection. This process tends to slow
down theWalker Circulation and arrest the warming.
On the other hand, the warm sea surface temperature
and strong upward atmospheric motions will lead to
stronger surface easterlies that induce further warm
water in the western Pacific and cool water in the
eastern Pacific through increased upwelling. The
increased east–west sea surface temperature gradient
can lead to a stronger Walker Circulation. The
aforementioned process was interpreted by Bjerknes
as an acceleration of the Walker Circulation that also
provides for ‘an increase of the east–west temperature
contrast that is the cause of the Walker Circulation in
the first place’.

Impacts onWorldWeather andClimate

The Walker Circulation regulates global exchange of
momentum, heat, and water vapor within the tropics
via massive overturning motions. In doing so, it plays
an important role in the balance of atmospheric energy
in the equatorial region and in determining the
characteristics of weather and climate in the tropics.
The strongest atmospheric impacts associatedwith the
fluctuations of the Walker Circulation are found over
tropical and subtropical regions around the Pacific
rim. During an El Niño, the weakening Walker
Circulation causes widespread drought (see Drought)
in Indonesia/maritime continent, drought in north-
eastern Brazil, severe floods (see Flooding) in Peru and
Ecuador, and in south-eastern Brazil and northern
Argentina. During a La Niña, the Walker Circulation
intensifies and leads to rainfall anomalies with reverse
sign compared to El Niño. The Walker Circulation
also represents the fundamental link between the
changes in sea surface temperature in the eastern
Pacific and the variability of the Asian–Australian
monsoon. Themechanisms that are responsible for the
interactions between the monsoon and El Niño
Southern Oscillation have been attributed, in part, to
the changes in the Walker Circulation. Although
individual cases may vary, in the summer preceding
the peak phase of El Niño, which usually occurs in the
northern winter, the Walker Circulation is weakened
and shifted eastward owing to reduced east–west sea
surface temperature gradient across the Pacific ocean.
This suppresses broad-scale convection over the
western Pacific and eastern Indian Ocean and leads
to weaker South Asian monsoon. There is some
evidence that changes in land use, such as deforesta-
tion in Brazil and in Indonesia, may also cause long-
term changes in theWalker Circulation due to changes
in land temperature, and therefore east–west thermal
gradient along the tropical belt.

Besides modulating tropical weather and climate,
the Walker Circulation is important as a driver of
energy exchange between the tropics and higher
latitudes. Bjerknes envisioned an interaction between
the Walker Circulation and the Hadley Circulation in
the form of an inverse variation between the two
circulations. Bjerknes stated that ‘when the cold water
belt along the Equator is well developed, the air above
it will be too cold and heavy to join the ascending
motion in the Hadley circulations. Instead, the
equatorial air flows westward between the Hadley
circulations of the two hemispheres to the warm west
Pacific’. Such an interaction leads to changes in
extratropical westerly jet streams (see Jet Streaks)
and the so-called Pacific-North American and Pacific-
South American teleconnection patterns. These
changes are the causes for severe weather and climate
anomalies in the Asian–Pacific–American regions.

Summary

The Walker Circulation comprises east–west atmo-
spheric circulation cells along the equatorial belt. The
most dominant component is the Pacific branch,
which consists of easterly winds at the lower tropo-
sphere,westerlywinds at the upper troposphere, rising
motion over the western Pacific, and subsidence over
the eastern Pacific. The Walker Circulation possesses
pronounced variability on seasonal intraseasonal and
interannual timescales, and is an integral component
of the El Niño-Southern Oscillation climate system.
Fluctuations of the Walker Circulation can lead to
extreme weather conditions in different parts of the
world.

See also

Drought. El Niño and the Southern Oscillation:
Observation. Flooding. Jet Streaks.Monsoon: ENSO–
Monsoon Interactions; Overview. Ocean Circulation:
General Processes. Thermodynamics: Moist (Unsatu-
rated) Air.TropicalMeteorology: Intra-seasonal Oscilla-
tion (Madden–Julian Oscillation).
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Introduction

What is a waterspout? It is defined as an intense
columnar vortex (usually containing a funnel cloud) of
small horizontal extent that occurs over a body of
water and is suspended from a cumuliform cloud.

Waterspouts occurmost frequently in the subtropics
during the warm season; more are reported in the
Florida Keys than in any other place in the world.
Funnel diameters range from a few up to 100m or
more, lifetimes average 5–10min, but large water-
spouts may persist for up to 1 h and are the most
hazardous. Examples of typical and large Florida Keys
waterspouts are shown in Figures 1 and 2. Water-
spouts can also occur in groups or sequential families
of up to nine from a single cumulus cloudline over a
90min period, as shown in Figure 3.

Worldwide Climatology

Literature on waterspouts is virtually nonexistent. By
far, the majority of the work on this subject comprises

individual observations of waterspout occurrence
from the surface, a few documented by still photo-
graphs or drawings constructed from memory. Per-
haps one of the best early comprehensive surveys of
waterspout structure and behavior, deduced from
observations available up to that time, was made by
Ferrel in hisAPopularTreatise on theWinds. Up to the
late 1960s, there remained much disagreement over
certain structural features of thewaterspout, especially
the sense of vertical motion in and surrounding the
funnel. Vortex structure within the parent cloud
remains virtually unknown. Some of the more plau-
sible waterspout models deduced from surface obser-
vations have been proposed by Bundgaard,
Dinwiddie, and Rossman. These are depicted in
Figures 4–6 and illustrate some of the contrasting
models of waterspout structure and radial–vertical
circulation up to the 1960s. The only estimate of the
pressure minimum in a waterspout was given by
Chollet. He described a ship being overtaken by a
waterspout during which the ship’s barometer fell
21 hPa.

Gordon assembled a global waterspout frequency
map, using British ship observations from 1900 to
1947. Apart from the observational bias of using only
British ships and their selective routes, we note that
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more waterspouts occur on the western sides of the
subtropical anticyclones. This distribution implies
that waterspouts are most frequent in the equatorial
Atlantic and Indian Oceans, the Gulf of Mexico, and
the Mediterranean Sea. Gordon concluded from his
data that waterspouts occur generally over regions
having relatively high sea and air temperatures for the
latitude, where consequent unstable conditions are
likely to exist in low levels.

Gordon’s frequency chart illustrates that water-
spouts rarely occur along the western coasts of North
and South America, Europe, and Africa where cold
upwelling in the ocean is common.

United States Waterspout Climatology

More recently, the author performed an assessment of
waterspout frequencies along the US East and Gulf
Coasts. Two primary data sources were utilized in the
compilation of this waterspout climatology. All
NOAA Storm Data reports from coastal counties
during the period 1959–73 were examined for water-
spouts, tornadoes, and funnel clouds. Tornadoes that

Figure 1 ‘Typical’ waterspout, photographed by the author from

light aircraft, west of Key West, FL, on 9 July 1969.

Figure2 Largewaterspout, photographedby the author during a

chance aerial encounter near Lower Matecumbe Key, FL, on 2

September 1967. Note the double-walled structure of the funnel

cloud, with spray vortex and trailing wake on sea surface.
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Figure 3 Schematic, composite scaled model of a waterspout-

active cloudline, illustrating typical locations of waterspouts in

various stages of life cycle (to be outlined later), motion relative to

shower locations, and mesoscale flow (plan view above, side view

below).
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passed over coastal lakes or waterways, or crossed a
coastline and continued out to seawere included in the
waterspout statistics and plots. Funnel clouds that
were likewise reported over water bodies were also
included as probable waterspouts, using the research
results by the author on the waterspout life cycle as a
guide. The second data source was a large file of mari-
ners’ reports covering almost a century, 1850–1940,
for the entire western North Atlantic and Gulf of
Mexico. This file was kept by past editors of the
Mariner’s Weather Log, and is therefore probably
biased toward United States vessel reports. The results

for waterspout totals and damaging waterspouts for
demographically partitioned areas are plotted in
Figure 7 for the US Gulf and Florida coasts, and
similar results are given by the author for the US East
Coast north of Jacksonville. (Waterspout statistics for
the Florida Keys have been omitted from Figure 7, but
are given below for the years 1958–68.)As noted in the
Introduction, over 30 years of research has shown that
waterspouts occurmore frequently in the Florida Keys
than anywhere else in the world. Moreover, Golden
(1973) demonstrated that conventional data sources
for the Keys underestimate the actual yearly water-
spout population by up to an order of magnitude. This
tendency is likely present in the Storm Data used for
the Gulf and East Coasts; public apathy and lack of
understanding about potentialwaterspout hazards are
contributing factors. Figure 7 and other similar
waterspout charts of the East Coast show that the
primary warm axis of the Gulf Stream and large
coastal bays and inlandwaterways are favored regions
of waterspout occurrence. More recent studies show
increasing reports of waterspouts along the Southern
California coast and Great Lakes (Buffalo and Cleve-
land), both partly due to increased public awareness.
Rare outbreaks ofwaterspouts have been documented
in such odd northern locations as Lake Winnipeg
(Canada), theGreat Salt Lake (UT), Lake Tahoe (NV),
and Baseline Reservoir (Boulder, CO).

Table 1 gives a list of the 10most active areas along
the entire US Gulf and East Coasts in decreasing order
of reported waterspout frequency for the 15 year
period. The Florida Keys experience from 50 to 500
waterspouts each year (at least 400 waterspouts were
documented during the l969 Lower Keys Waterspout
Project). Total waterspouts and the number producing
damage are given for each coastal area. TampaBay has
the greatest number of damaging waterspouts and it is
known that half or more of these originate over the
Gulf of Mexico during midlatitude disturbances.

Horizon

Figure 4 Waterspout model derived by Dinwiddie (1959).
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Figure 5 Schematic waterspout flow model from the frame of a

16mm movie taken of a 1953 Tampa Bay waterspout by

Bundgaard (1953).

Figure 6 Rossman’s (l960) waterspout conceptual model:

‘Streamline divergence at the base of a waterspout and shape of

the sea surfaceygives schematically the flow pattern of a

waterspout foot: a depression in the water surface or a ring-

shaped wave, the crest of which breaks up in water droplets and

forms the spray around the funnel’.
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Annual/Seasonal/Diurnal Waterspout
Frequencies in the Florida Keys

According to Gerrish and to l969 data studied by
Clemons, nearly all vortices reported as funnel clouds

overwater actually areweakwaterspouts, and this has
been confirmed by the present author’s research.
Figure 8 shows the annual totals of funnels and
funnel-days from 1958 to 1968 for KeyWest Weather
Service Office observations. A ‘funnel-day’ is defined
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total waterspouts (see text) and the lower number to damaging cases. ‘Several’ implies more than 10 waterspouts.

Table 1 Top 10 coastal areas for waterspout occurrence: US East and Gulf Coasts, 1959–73 (all values are 15 year totals)

Locationa (areal coverage) Total spouts Spouts per unit area

(� 10� 4 km�2)

Damaging

cases

1. Florida Keysb (22 809 km2) 41000 46572 15

2. Greater Miami, FL (10 138 km2) 335(11) 330 16

3. Tampa Bay, FL (6970 km2) 235 (1111) 363 33

4. Palm Beach, FL (5069 km2) 234 462 7

5. Corpus Christi, TX (6246km2) 211 (111111111) 338 Z10

6. Ft Lauderdale-Del Rey Beach, FL (5069 km2) 180 (11) 355 10

7. Galveston Bay, TX (11 560 km2) 161 (111111111) 139 12

8. Mississippi River Deltac, N Orleans (South of Lake

Maurepas to Mississippi Delta) (14 790 km2)

142 (11) 96 12

9. Pensacola Bay, FL (4164 km2) 110 (1) 264 13

10a. Ft Myers, FL (12 672 km2) 104 82 12

10b. Mississippi Sound, MI (5651 km2) 103 (111) 182 16

10c. Port Arthur, TX, to Sabine Lake (5711 km2) 102 (1) 179 10

aCompare these data with Figures 1 and 4.
bEstimated from field data in Golden (1973) and Rossow (1970).
cLake Pontchartrain, north of New Orleans, had 96 (1111) total waterspout reports, one damaging (not included here).

Note: Each1 indicates one observation of several or numerous waterspouts and was counted as only one event in the tabulations.
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as a day when one or more funnels were sighted. Note
that there were 35 funnel-days reported by Weather
Service observers during l968. However, including
data fromother sources in the LowerKeys, the number
swells to 56 funnel-days observedwithin 30 kmofKey
West for the period. Lower Keys funnel sightings
during l968 far exceeded the annual frequency for the
previous nine years.

Waterspouts in the Lower Keys are primarily a
rainy-season phenomenon (May to October). The
dashed curve (Figure 9) shows the number of funnel-
days per month at Key West (1958–68). June is the
most active waterspout month, in terms of funnel-
days, closely followed by August and July, with May,
September, andOctober substantially less active. Note

the in-phase relationship between trends in funnel-
days per month and monthly mean ocean water
temperature at Key West. Figure 10 (dashed curve)
shows the 11 year funnel cloud totals plotted by
month. From April to May, the total funnel number
increases from a few to 50 and then nearly doubles
from May to June (the secondary maximum).

Diurnal Occurrence and Duration

The diurnal distribution of waterspout funnels (1958–
68) is given by the dashed curve in Figure 11. There are
two primary maxima: the first near the noon hour
(1130–1300 EST) with a slight decrease near 1330
EST, and the second maximum from 1630 to 1830
EST. A lower tertiary peak occurs in the earlymorning
between 0800 and 0900 EST. A few nocturnal
waterspouts have been reported by Coast Guard and
Navy pilots flying at low altitude and by Keys
residents. A recent, extremely rare photograph of a
large tornadic waterspout at around midnight is
shown in Figure 12. This photograph was taken in
time exposure from the balcony of a high-rise apart-
ment inNorthMiami, looking east. The photographer
was shooting lightning photographs and captured the
large waterspout funnel and spray vortex by accident.

The average duration of funnel events (including
both funnel clouds and waterspouts, 1958–67) was
14.6min, which includes 61% of the total number;
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1968 sightings averaged 13.0min, which accounts for
66%of the total. For the 10 years 1958–67 and for the
year 1968, 75% of the funnel events persisted for
20min or less. The longest-lived funnel during the
1968 season lasted 52min. Sixty-two minutes is the
longest single event recorded (1958–67), but multiple
funnel activity has been observed to last for almost 3 h
from the ground.

Multiple Waterspout Events

Multiple-funnel sightings, with two ormore occurring
simultaneously, or more than one event on the same
day, occurred on 54 of 167 funnel-days (1958–67) and

on 14 of 35 funnel-days during l968 alone. The
maximum number of funnels sighted from the surface
in Key West in a single day is eight (in June 1966 and
August 1968). During one 45min period of a 30 June
1969 flight, the author observed nine complete water-
spouts emanating from the same cumulus cloudline.
The maximum number sighted simultaneously from
Key West (1958–68) is six; five have been reported
several times.

Favored Weather Conditions for
Waterspouts

A study was conducted using the above waterspout/
funnel statistics with the NOAA Local Climatological
Data for KeyWest,May to September, years 1964–68.
High surface humidity and temperature (and therefore
high equivalent potential temperature) favor funnel
formation. For the period 1958–68, no funnels were
reported when air temperatures were below 711F or
dew point below 661F. Waterspouts may form in
midlatitude locations such as the Southern California
coast and the Great Lakes during the cool season
with surface temperatures and dewpoints much lower
than the Keys; however, in those situations other
forcing mechanisms such as upper lows or approach-
ing surface fronts play a major role. We examined a
rare outbreak of several waterspouts, one of them
large and tornadic, over Lake Tahoe in the early
morning of 28 September 1998. Even though sur-
face water temperatures on the lake were no higher
than 701F, the air mass was extremely unstable due to
the presence of an upper cold low over Central
California.

Prevailing wind direction during June at the surface
in Key West is south-easterly, with a gradual backing
to east–south-easterly in October, according to the
Climatic Atlas of the United States. In May, the
waterspout season onset month, prevailing sur-
face winds are east–south-easterly. Wind speeds of
3–5m s� 1 were recorded during 57% of all funnel
events, a calm was reported once, and 16 kn was the
highest speed observed during funnel events. These
wind speed figures exclude gustiness caused by show-
ers. The two most frequent wind directions actually
observed during funnel events are from 1201 and 0801
(1964–68). Conditions favorable for waterspout for-
mation occur regularly on successive days in the
summer months over the Florida Keys. Two or more
successive funnel days were recorded for 20 of 167
occurrences during the 10 year period, but 10 were
reported during the 35 funnel-days of 1968. Con-
secutive-day occurrences suggest some special
slow-moving type of synoptic flow regime, and this
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Figure12 Large tornadicwaterspout accidentally photographed

by time exposure near midnight, looking east from a balcony at N

Miami Beach, 15 June 1985. (r Jim Leonard, used with

permission.)
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hypothesis was examined and confirmed later by the
author.

What, then, are the synoptic and mesoscale condi-
tions associated with waterspouts? The synoptic
scale was found to be the controlling influence on
waterspout-active convective cloudline developments
in the Lower Keys. If strong anticyclonic conditions
persist in the 1000 to 600 hPa layer (Blowest 4 km),
subsidence will inhibit cumulus-cloudline develop-
ment over the heated islands and shallow water.
Additionally, if a strong cyclonic synoptic-scale dis-
turbance (e.g. tropical storm) affects the Keys, the
strong low-level winds and vertical wind shear
will disrupt the surface heatingmechanism.Whenever
either several waterspouts or giant, long-lived
waterspouts were observed, a weak but well-defined
synoptic-scale troughline in the lower tropo-
spheric mean flow approached and passed through
the Keys, causing enhanced cumulus-cloudline
development.

The cloudline scale (mesoscale) is perhaps most
crucial to waterspout formation. It is estimated from
the1969–72Keyswaterspout data that at least 90%of
the waterspouts are spawned by rapidly building
cumulus cloudlines (i.e., not isolated cumuli). It is
significant that spiral patterns usually form on the
flanking edge of a cloudline, with the developing rain
shower or two generallywithin a few kilometers of the
epicenter. Frequently, the tail ormajor ‘feeder band’ of
the spiral appears to emanate from a narrow protru-
sion of the downwind shower boundary. These
features are summarized in Figure 3. Generally, there
are both cyclonic shear and curvature in the low-level
mesoscale flow through the cloudline. The updrafts
and subcloud-layer convergence are enhanced by
converging shower outflows, and the waterspouts
move in the directions of these outflows.Whilemost of
the Keys’ cloudlines are generated by the low-level
differential heating mechanism from the chain of
islands and large surrounding envelope of shallow,
warm water, others are associated with preexisting
mesoscale boundaries.

Typical ‘waterspout proximity soundings’ at NWS
Key West show that the low-level winds are light
(5–8m s� 1) from a south-west–south-east–north-east
direction (most often an easterly component), and veer
with height up to 600–700 hPa. The vertical wind
shear implied by these soundings is generally weak,
but it may be locally enhanced by outflows generated
by the cloudlines themselves. There is usually abun-
dant tropical moisture up to 700 hPa, with drier air
above. Dry-adiabatic or superadiabatic lapse rates are
often present below about 900 hPa. The remaining
levels are convectively unstable, and lifted indices are
near or below zero. No attempt has been made to
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Figure 13 Temperature sounding taken from an outside-dial

temperature gauge on light aircraft (read to the nearest 0.51C)
beneath a waterspout-active cloudline on 7 July 1969. Key West,

FL, sounding at 1200 GMT is also plotted for comparison (9 h

earlier and approximately 20 km from cloudline).

Figure 14 Mature waterspout with intense spray vortex, being

chased by a large speedboat towing a water-skier, over shallow

waters west of Key West, FL, in June 1977.
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contruct ‘mean waterspout soundings’. The reasons
become clear upon examination of Figure 13, showing
spiral-ascent aircraft temperatures beneath and just
outside a cloudline that produced seven sequential
waterspouts. The Key West sounding, taken earlier
that day some 20 km from the cloudline, is also
plotted. Note especially the observed superadiabatic
lapse rate up to about 300m msl. The outflow from a
nearby shower apparently contributed to the greater
instability beneath this cloudline (air and sea temper-
atures obtained during another research flight also
indicated a superadiabatic lapse rate in the subcloud
layer on another day). If these results hold in general,
they strongly suggest that the low-level thermody-
namic properties of the waterspout environment are
poorly represented by conventional land-based
soundings.

Waterspout Risks and Hazards

Is a waterspout merely any tornado over a water
surface (as defined in the American Meteorological
Society’s revised Glossary of Meteorology) or is there
some fundamental difference in structure and energe-
tics? More to the point, most waterspouts are, indeed,
nonsupercell tornadoes over a water surface. The
primary risk from waterspouts is to residents, mari-
ners, and structures in coastal areas and large inland
lakes. The first documented death from a waterspout
in the US was a wind-surfer along the Lake Michigan
waterfront in Chicago in July l993. There are some
well-documented cases of large vessels being capsized
or de-masted by large waterspouts, and some other
reports of boats being swamped with deluges of heavy
rain and/or sea spray.
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Figure 15 Proposed three-dimensional structural model of a waterspout based on detailed aircraft observations of the Lower

Matecumbe Key waterspouts at close range. The vertical scale is greatly contracted. The inset shows the derived radial profile of

tangential speeds through thewaterspout’s spray vortex, obtained by photogrammetric analysis of aircraftmovies.Note the trailing ‘wake’

of disturbed sea water, with the wave train oriented perpendicular to and on the right side of the wake (cyclonic waterspout). See text for

additional details.
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Even though tornadic waterspouts appear to be
quite rare, impressive damage may occur. The author
noted that two eyewitnesses to the landfall of the
second, intense waterspout at LowerMatecumbe Key,
FL, claimed that a 1965Cadillacweighing over 2 twas
‘lifted a few feet off the ground and then set down
again’; and what surely was a tornadic waterspout
slammed into Venice, Italy, in the late evening of
4 September 1970. The whirlwind killed at least
18 persons when it lifted a crowded passenger motor-
boat from the water and sent it to the bottom of a
lagoon in less than a minute. The wind picked up the
25 t boat, lifted it into the air, turned it around several
times, and then plunged it back into the water. Most
recently, the author and collaborators studied a
tornadic waterspout that originated over south St
Petersburg, FL, on12 July 1995, producing F1damage
($200 000) and injuring one person before moving
offshore and growing over Tampa Bay.

That waterspouts pose a serious threat to structures
lying along their paths at landfall is beyond doubt,

based on studies by the author, Fujita, and Macky.
For example, Fujita and colleagues found that about
one-fourth of the typhoon-associated tornadoes af-
fecting the Japanese islands over a 22 year period
originated as intense waterspouts. Damage statistics
indicate that tornadoes of waterspout origin in Japan
are stronger on the average than those originating over
land. Many of the damaging tornadoes affecting the
central and eastern Gulf Coast during the late fall and
early spring originate over the northern Gulf of
Mexico as intense waterspouts. For example, an
intense waterspout made landfall on 7 February
1971 at 1618 local time and caused $3 million in
damage in Pensacola, FL. More recently, a very
destructive outbreak of tornadoes in the Tampa Bay
area on 3 October 1992 began when an intense
tornadic waterspout moved onshore in Pinellas Coun-
ty. The author has shown that about 10% of the
waterspouts each summer in the Keys reach tornadic
size and intensity, with peak velocities in the spray
vortex of 50m s� 1 or more.

Another hazard fromwaterspouts is public miscon-
ception about their own personal risk. Unfortunately,
we have seen some mariners in recent years actually
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chasingwaterspouts! A spectacular and foolish case of
such a waterspout chase is shown in the aerial
photograph in Figure 14, which shows a large
outboard motorboat chasing a fully developed intense
waterspout and towing a water-skier at the same time.
This illustrates a sad example of putting oneself (and
others) directly in harm’s way.

Waterspout Kinematics and Dynamics

The chance aerial encounter with the three water-
spouts near Lower Matecumbe Key, FL, on 2 Septem-
ber 1967 provided a unique opportunity to learnmore
about their structure andwindfields. Photogrammetry
with the use of transparencies taken by the author
revealed that the largest waterspout funnel (Figure 2)
varied in diameter from 38m near the parent cloud
base to 21m at its lower end. Using the dimensions of
the surface spray vortex obtained with the slides and
then tracking and timing the rotation of spray plumes
andparticles at various radii on the aircraftmovies,we
obtained a tangential velocity profile through the
spray vortex.

The resulting three-dimensional model synthesized
from data on the two major waterspouts is shown in
Figure 15, which includes an inset showing the

measured tangential speed profile across the spray
vortex of the most intense waterspout. The reader
should compare Figure 15 with the earlier models
depicted in Figures 4–6.

The derived tangential wind speed profile through
the waterspout’s spray vortex closely approximates
that of aRankine-combined vortex. With the ordinate
axis as tangential wind speed ðVrÞ inmeters per second
and the abscissa as radius (R) in meters, we note that
the maximum tangential wind speed was 65.0m s� 1

or 130 kn at a radius of just 12m from the vortex
center. In atmospheric dynamics, it is often assumed
that the cyclostrophicwind is a valid approximation to
the real wind in tropical cyclones in equatorial
latitudes and in small-scale vortices with very great
wind speeds and path curvature. However, the data
show that at times in a given waterspout’s life cycle,
there may be horizontal accelerations of inflow into
the spray vortex, especially from the right-rear quad-
rant relative to the direction of vortex motion. This
feature would tend to obviate the possibility of a
cyclostrophic balance in such cases.

The most intense waterspout documented by air-
craft in 1969 was anticyclonic, and photogrammetric
analysis ofmovies yielded peak tangentialwind speeds
in the spray vortex of 88m s�1 at R ¼ 9m. We also
found that about 10% of the waterspouts each year in
the Keys are anticyclonic, and a few of these may also
be tornadic (peak rotational velocities in the spray
vortex in excess of 50m s�1).

The Waterspout Life Cycle and
Interacting Scales of Motion

The 1969 Lower Keys Waterspout Project and subse-
quent field programs over the intervening years reveal
that all waterspouts undergo a regular life cycle
composed of five discrete but overlapping stages: (1)
the dark spot stage, characterized by a prominent
light-colored disc on the sea surface, surrounded by a
dark patch diffuse on its outer edges – the dark spot
may or may not have a small funnel cloud above it
initially, but signifies a complete vortex column
extending from cloud base to sea surface; (2) the
spiral pattern stage, the primary growth phase of the
waterspout, characterized by the development of
alternating dark- and light-colored bands spiraling
around the dark spot on the sea surface; (3) the spray
ring (incipient spray vortex) stage, characterized by a
concentrated spray ring around the dark spot, with a
lengthening funnel cloud above; (4) the mature
waterspout stage, characterized by a spray vortex of
maximum intensity and organization, the gradual
weakening of the spiral pattern, and maximum funnel

ds

Invisible
vortex

circulation

Longer
visible
funnel

Composite
model for spray ring stage

H

Figure 18 Composite schematic model for the spray ring (stage

3) in the waterspout life cycle. The vertical scale is contracted, H

varies from550 to 670mmsl, andds from445 to 260m.See text for

more details. Compare with the actual case in Figure 21E.
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cloud length and diameter; and (5) the decay stage,
when thewaterspout dissipates (often abruptly) as it is
intercepted by the cool downdrafts from a nearby rain
shower. The five stages of the waterspout life cycle are
depicted conceptually in Figures 16–20, respectively.

Not every waterspout observed from its inception
evolved through all other stages; however, the combi-
nations of stages 1–2–3–4–5, 1–2–5, 1–3–4–5, and
1–5 have been documented. All waterspout cases
documented by aircraft-based field programs during
1969–70 are summarized in Table 2. Stages 1 and 4
have the greatest range of duration and often comprise
the bulk of a waterspout’s total lifetime. The largest
and best-documented waterspout observed from air-
craft during the l969LowerKeysWaterspout Project is
shown in Figure 21A–K. This sequence illustrates the
evolution and key structural features of a complete
waterspout life cycle.

Waterspouts’ Relation to Other
Convective Vortices

Other research and field projects by Peter Sinclair have
shown many flow similarities between water-
spouts and dust devils. The major difference seems to
be one of scale and the fact that dust devils are
associated with dry convection (no parent cloud
system) in very hot climates. The high formation
frequency and the life cycle of waterspouts in the
Florida Keys result from energy and angular
momentum exchanges among five scales of atmos-
pheric circulation. These are: (a) the funnel scale,
corresponding to the waterspout itself, with funnel
diameters ranging from 3 to 150m; (b) the new
spiral scale, ranging from 150m to 1 km on the sea
surface; (3) the individual cumulus-cloud scale, rang-
ing from less than 1 to up to 5 km in diameter; (d) the
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cumulus-cloudline scale, ranging from 5 to 100 km in
length; and (e) the synoptic scale, extending several
hundreds of kilometers horizontally. The order of
presentation of interacting scales does not imply the
sense of energy or momentum transfer. In fact, a more
detailed discussion of this scale-interaction process by
the author suggests that the funnel scale is the end
product of vorticity concentrated by larger-scale
convergence fields.

The tornado life cycle resembles, in many respects,
that typical of Florida Keys waterspouts. Both com-
mencewith surface evidence of vortex existence before
a funnel cloud has descended a significant distance
toward the surface. Approaching themature stage, the
tornado and waterspout exhibit spiral inflow charac-
teristics with a distinct boundary between warm,
moist air and cool, dry air. A schematic plan view of
composited mean subcloud-layer mesoscale flow

Composite model of
decay stage

'Rotor
              cloud' 'Collar

              cloud'Density-surge line

Funnel

Wake

White-caps

RW+

Figure 20 Composite model of decay (stage 5) in waterspout life cycle. Note that in some cases, the shower outflow line (labeled

‘density-surge line’)may be closely followed by the heavy rain shower. Also, the funnel cloud often undergoes rapid changes in shape and

may become greatly contorted late in stage 5. For scaling purposes, maximum funnel diameters range from 3 to 105m. Compare with

actual case photographs in Figure 21J,K.

Table 2 1969–70 statistical summary of documented stages in waterspout life cycle

Stage 1 2 3 4 5

Major feature Dark spot Spiral Spray ring Spray vortex Decay

1969: of 95 66 initially

observed in

stage 1

16 had spirals, and

smoke flares

showed circulation

on this scale in

several other cases

56 attained the

sustained stage

3; short duration,

transitional

stage

51 reached this

stage

51 decayed as heavy

showers or cool

outflow overtook

spout; also 33 dark

spots simply decayed

by fading away

1970: of 33 All initially observed

in stage 1, and 17

had an associated

funnel at some time in

the life cycle. Vmax ¼
10–15ms�1 in broad

band just outside

circular light-colored

disc

Only 7 evolved to this

stage and beyond;

ds � 150–1000m

Vmax � 22ms�1

in narrow band

around dark

spot periphery

86 had an

associated funnel

at some

time in the life

cycle; Vmax �
85ms�1 in sharply

defined peak just

outside ‘eye’ of

spray vortex in

bright band of

concentrated

spray

Some spiral rain

curtains observed

around decaying

waterspouts

Duration range of

stage (1969–70)

t1 ¼ 1�22 min t2 ¼ 2�7 min t3 ¼ 1�2 min t4 ¼ 2�17 min t5 ¼ 1�3; up to 7 min
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(A)

(C)

(B)

(D)

Figure21 Sequenceof photographs, by theauthor, of the complete life-cycle of a large, cyclonicwaterspout in cumulus cloudline 20 km

north of KeyWest, FL, in the latemorning of 10September 1969. This was the largest of nearly 100waterspouts documented by research

aircraft during the summer 1969 Lower Keys Waterspout Project. (A). Approach to building east–west oriented cumulus congestus

cloudline (cloud base measured at 600m). (B) Dark spot stage. Note the large dark spot, with a bright inner disc surrounded by a darker

patch on the sea surface, and a large truncated funnel above. View from aircraft orbiting near cloud base, looking southwest with Keys in

thebackground.ComparewithFigure16. (C)Darkspot stage– telephotoof dark spot.Note thesmallwind-drivenwavesapproachingand

apparently encroaching the dark spot from the left center. Water depths were 12–15m, and only a horizontal cyclonic shear of about

715ms� 1 could be detected across the 90m diameter of this dark spot. Compare with Figure 16. (D) Late spiral-pattern stage, with

incipient spray ring and elongation of dark ‘shear band’ around the eastern semicircle of the vortex, looking south at 1054 EST, 10

September 1969. Compare with Figure 17. (E) Preexistent shear band (far left) and newly developed spiral pattern at 1057 EST, looking

west. Spray ring now fully developed and intensifying. Compare with Figure 18. (F) View of mature stage showing spray vortex, rope-like

funnel and complete spiral pattern on sea surface. LookingNEat 1059EST. (G) LookingSEat 1100EST,with outer funnelwall developed

downward from cloud base, and intense spray vortex on sea surface. (H) Large, double-walled waterspout funnel and spray vortex with

trailing wake at 1103 EST. Compare with Figure 19. (I) Lower portion of the large waterspout, now with single-walled funnel, and spray

sheath rising helically upward around spray vortex, with eye; looking ESE at 1105 EST. (J) Onset of decay stage, with protuberances

moving around funnel walls and weakening spray vortex below; view towards south-west at 1107 EST. (K) Decay stage, with funnel

narrowing and retracting, spiral pattern gone and spray vortex expanding with large eye. Note the smoke flare on the sea surface on the

right and heavy showers in the background (waterspout moving away from showers, with cooler outflow intercepting waterspout).

Compare with Figure 20.
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around theUnionCity tornado during itsmature stage
is given inFigure 22. The cooler airmass fromanearby
precipitation area apparently cuts off flow of warm,
moist air into the tornado’s circulation, leading to
vortex decay. The visible funnel becomes thin,

increasingly tilted and contorted as it dissipates.
Major differences between the tornado and water-
spout appear to be vortex and parent cloud scales and,
to a lesser extent, vortex lifetimes and intensities. Both
vortices may evolve rapidly through their respective

(E)

(G)

(H)

(F)

Figure 21 Continued
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(I)
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Figure 21 Continued
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life cycles without evolving through every stage. We
note the strong resemblance, apart from scale,
between the preexistent dark ‘shear band’ fromwhich
the waterspout’s spiral pattern evolved (Figure 23, see
also Figure 21D,E,F) and the flanking cumulus cloud-
line in Figure 22 which spirals into the rotating ‘wall
cloud’. Both the flanking line and waterspout shear
band appear to be the demarcation of gust fronts from
nearby precipitation, and both signify pronounced
low-level wind discontinuities with large cyclonic
shear (vorticity). A recent study was made by the
author andNational Weather Service collaborators of
a large waterspout that originated over land as a
destructive tornado in St Petersburg, FL, and then
tracked south-eastwardoverTampaBaywith a30min
lifetime. It was found that the tornadic waterspout’s
parent storm developed rapidly in response to surface
mesoscale boundary interactions.

See also

Air–Sea Interaction: Gas Exchange; Momentum, Heat
and Vapor Fluxes; Sea Surface Temperature; Storm
Surges; Surface Waves. Aviation Weather Hazards.
Boundary Layers: Convective Boundary Layer. Clouds:
Cumuliform. Convective Storms: Convective Initiation;
Overview. Mesoscale Meteorology: Cloud and

Precipitation Bands. Severe Storms. Tornados. Trop-
ical Meteorology: Equatorial Waves; Inter Tropical
Convergence Zones (ITCZ); Intra-seasonal Oscillation
(Madden–Julian Oscillation); Overview and Theory;
Tropical Climates. Vorticity.
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WAVE MEAN-FLOW INTERACTION
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Introduction

The complexity of atmospheric flow encourages the
use of simplified conceptual models to study specific
processes. A conceptual model is here interpreted as a
model that includes a broad range of physical features
but is still sufficiently simple to permit a complete
description of its properties. The theory ofwavemean-
flow interaction encompasses a family of such con-
ceptual models. The flows considered generally have
nontrivial dependence on all three spatial coordinates
and also on time.

Some degree of simplification is achieved by assum-
ing that the flow can be split into a wave and a mean
component, such that the mean has large amplitude
and is slowly evolving, while the wave has smaller
amplitude and may evolve on a faster time scale and a
shorter length scale.

The theory is based on the assumption the mean
flow depends only on a reduced number of coordi-
nates. It is further assumed that the mean-flow
variation with respect to one of the remaining coor-
dinates is weak. The mean could be taken over time or
space, but the discussion belowwill concentrate on an
example for which a spatial mean is used and the
system has multiple scales of variation in time.

Superimposed on the mean flow is a wave field. The
waves depend on all four coordinates but are often
assumed to have small amplitude.

The concept of multiple scales is important here.
Atmospheric dynamics is often analysed by assuming
that every component of the flow varies according to
the same set of representative scales. In the theory of
wave mean-flow interaction that assumption is re-
laxed slightly by allowing different scales for different
components of the flow. The two components are a
mean flow and a wave field. These interact through
the nonlinearity of the governing equations. The
time scale for the evolution of the mean flow is
much longer than that which characterizes the
wave propagation. In many applications there is also
a faster time characterizing the period of individual
waves.

Zonal Averaging and Multiple Time
Scales

The theory of wave mean-flow interaction can be
applied to a wide range of flows. Here the general

principles will be illustrated through a discussion of a
single example, described later. This section intro-
duces the relevant equations and averaging procedure.
The complete set of equations for this problemconsists
of the thermodynamic equation, the horizontal mo-
mentum equations, mass conservation, and the hydro-
static equation. The hydrostatic approximation has the
effect of reducing the system from five to three pre-
dictive equations by filtering out sound waves. This
approximation is validwhen the typical velocities of the
flow are small compared to the phase speed of sound
waves. These equations may be written as [1] to [5].

Thermodynamic yt þ uyx þ vyy þwyz ¼ Q ½1�
x-Momentum

ut þ uux þ vuy þwuz � fv ¼ Fx þ F ½2�

y-Momentum

vt þ uvx þ vvy þwvz þ fu ¼ Fy þG ½3�

Mass ux þ vy þ r�1
s ðwrsÞz ¼ 0 ½4�

Hydrostatic y ¼ yref
g

Fz ½5�

In these equations, z is the log pressure vertical
coordinate (see Dynamic Meteorology: Overview)
and rsðzÞ ¼ rsð0Þ expð�z=HÞ is the corresponding
pseudodensity (H is a reference scale height). ðu; v;wÞ
are the three components of the wind, y is potential
temperature, and F is the geopotential height.
Q represents diabatic heating and F and G repre-
sent diffusion terms. In numerical or conceptual
models F and G can also include the effects of
small-scale turbulent mixing that is not explicitly
represented.

We now introduce a small parameter e that will
represent the amplitude of the waves. The associated
changes to the mean flow will occur on a time scale
proportional to e�2. To represent this mathematically,
we introduce a fast time t ¼ t and a slow time
T ¼ e�2t. The variables u; v;w; y, and F are then all
expanded in powers of e as follows in eqn [6a].

uðx; y; z; tÞ ¼ uð0Þðy; z;TÞ
þ euð1Þðx; y; z; t;TÞ
þ e2uð2Þðx; y; z; t;TÞ þ � � � ½6a�

Note that the leading-order term is independent both
of the zonal coordinate x and of the fast time t. It
follows from the definition of the fast and slow times
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that temporal derivatives can be expanded as in
eqn [6b].

q
qt

¼ q
qt

þ e2
q
qT

½6b�

With the introduction of two time variables to
replace a single one, the problem is rendered under-
specified. That is, we have increased the number of
variables that need to be determined without having a
corresponding increase in the number of equations we
canuse todetermine these variables. This propertywill
be turned to advantage later on, when it is used to
impose conditions that facilitate the clean separation
of different parts of the problem along physically
meaningful lines.

The leading order equations are [7] to [11].

vð0Þyð0Þy þwð0Þyð0Þz ¼ Qð0Þ ½7�

vð0Þ uð0Þy � f
h i

þwð0Þuð0Þz ¼ Fð0Þ ½8�

vð0Þvð0Þy þwð0Þvð0Þz þ fuð0Þ ¼ Fð0Þ
y þGð0Þ ½9�

vð0Þy þ r�1
s wð0Þrs
� �

z
¼ 0 ½10�

yð0Þ ¼ yref
g

Fð0Þ
z ½11�

It will be assumed that the leading-order solution is
unforced, so thatQð0Þ,Fð0Þ, andGð0Þ all vanish.Thefirst
and second equations imply, in general, vð0Þ;wð0Þ ¼ 0.
Equation [10] is then satisfied automatically. The
remaining two equations then show that the zonal
flow is in hydrostatic and geostrophic balance. These
two can be combined to form the thermalwind eqn [12].

yð0Þy ¼ g�1yreffu
ð0Þ
z ½12�

The wave equations, at order e, are [13] to [17].

yð1Þt þ uð0Þyð1Þx þ vð1Þyð0Þy þwð1Þyð0Þz ¼ Qð1Þ ½13�

u
ð1Þ
t þuð0Þuð1Þx þ vð1Þuð0Þy þwð1Þuð0Þz

�fvð1Þ ¼ Fð1Þ
x þ Fð1Þ ½14�

v
ð1Þ
t þ uð0Þvð1Þx þ fuð1Þ ¼ Fð1Þ

y þGð1Þ ½15�

uð1Þx þ vð1Þy þ 1

rs
wð1Þrs
� �

z
¼ 0 ½16�

yð1Þ ¼ yref
g

Fð1Þ
z ½17�

These five equations describe a wide variety of wave
propagation mechanisms, including gravity waves,
Rossby waves, inertial waves, Kelvin waves and mixed
Rossby gravity waves.

The equations are invariant with respect to the x
coordinate and it is known that the underlying physics
can be expressed in a Hamiltonian formulation. For
Hamiltonian systems there is a general theorem, due to
Emmy Noether, stating that there is an invariant
related to every symmetry. The invariant that is
associated with the x-symmetry of the underlying
physics is momentum. The momentum-like invariant
that is associated with the x-symmetry of the pertur-
bation equations is known as the pseudomomentum
and takes the form shown in eqn [18a].

A ¼� rs
u
ð1Þ
z yð1Þ

yð0Þz

þ rs
yð0Þz

 !2
u
ð0Þ
z

rs

 !
z

yð1Þ
2

2

þ 1

2

rs
yð0Þz

 !2 qð1Þyð0Þz � yð1Þqð0Þz

� �2
q
ð0Þ
y yð0Þz � yð0Þy q

ð0Þ
z

½18a�

In eqn [18], q is Ertel’s potential vorticity, given by
eqn [18b].

q ¼ ðf þ vx � uyÞyz þ uzyy � vzyx
rs

½18b�

The bracketed group in the numerator of the last term
on the right-hand side of [18a] is related to the
isentropic anomaly of q. The isentropic anomaly is of
greater dynamical significance than the isobaric
anomaly qð1Þ because q is materially conserved on
isentropes in adiabatic, inviscid flow. A is also known
as the ‘wave activity’.

The expression for wave activity [18a] is compli-
cated, but this complexity is compensated for by a
relatively simple evolution equation (eqn [19], where
= ¼ ðq=qy; q=qzÞ).

At þ = . Fep ¼ D ½19�
The right-hand side,D, is a dissipative term depending
linearly onQð1Þ, Fð1Þ, andGð1Þ. The conservative wave
dynamics are described by the Eliassen–Palm flux
vector Fep whose components are given by eqns [20]
and [21].

F
ep
ðyÞ ¼ rs �uð1Þvð1Þ þ yð1Þvð1Þ

yð0Þz

uð0Þz

 !
½20�

F
ep
ðzÞ ¼ �rs uð1Þwð1Þ þ yð1Þvð1Þ

yð0Þz

uð0Þy � f
h i !

½21�

The evolution equation for the wave activity [19]
follows from the linear wave equations [13]–[17]
without any further approximation. The unwieldy
definition of A is compensated for by the simple
structure of the evolution equation. While it is easy
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enough to verify that A has the properties listed, it
would not be easy to find such a quantity without the
guidance that comes from Noether’s theorem. The
existence of such an exact form is important in
guaranteeing the validity of the approximations
made to the wave equations below. This would not
be a problem if we were only concerned with a local
approximation, but the problem here requires an
approximation to be valid over many vertical wave-
lengths and many wave periods.

A further useful property of the wave action is that,
under circumstances in which a group velocity cg is
well defined, the flux of wave activity is given by
Fep ¼ cgA.

Mean-Flow Evolution

The equation for the slow evolution of themean flow is
obtained from the order e2 terms in the expansion of
the governing equations. The zonal-mean zonal-mo-
mentum and thermodynamic equations take follow-
ing forms [22] and [23].

u
ð0Þ
T � vð2Þ f � uð0Þy

h i
þwð2Þuð0Þz

¼ � uð1Þvð1Þ
� �

y
�r�1

s rsuð1Þwð1Þ
� �

z
½22�

yð0ÞT þ vð2Þyð0Þy þwð2Þyð0Þz

¼ � yð1Þvð1Þ
� �

y
�r�1

s rsy
ð1Þwð1Þ

� �
z
þ �QQð2Þ ½23�

It was mentioned earlier that the introduction of two
time variables made the problem underspecified. The
associated freedom has been used here to impose the
conditions uð2Þ ¼ 0 and yð2Þ ¼ 0, so that all changes in
the mean zonal flow and potential temperature are
included in the leading-order terms uð0Þ and yð0Þ.
Equations [22] and [23] show that the mean flow is
forced by the convergence of the Reynolds’ stress and
the mean potential temperature is changed by the
convergence of the heat flux. The system can respond
to forcing through two physically distinct mecha-
nisms: the tendency (represented by u

ð0Þ
T and yð0ÞT ) and

the mean meridional circulation (represented by
ðvð2Þ; wð2ÞÞ).

The analysis in the previous section showed that the
eddy fluxes that occur in [22] and [23] as forcings of
the mean flow also occur in [20] and [21] representing
the flux of wave activity. A transformation to what are
known as the transformed Eulerian mean equations
clarifies the link between mean-flow forcing and the
wave propagation. The aim of the transformation is to
reorganize the equations so that all the forcing terms
can be collected into a single expression. This achieved

by defining the residual circulation as in eqns [24]
and [25].

�vvn ¼ vð2Þ � 1

rs

q
qz

rsvð1Þy
ð1Þ

yð0Þz

 !
½24�

�wwn ¼ wð2Þ þ q
qy

vð1Þyð1Þ

yð0Þz

 !
½25�

Modified means are defined for the potential temper-
ature [26] and heating rate [27].

�yyn ¼ yð0Þ þ e2
q
qz

yð1Þ
2

yð0Þz

0
@

1
A ½26�

�QQn ¼ Qð2Þ þ q
qz

yð1ÞQð1Þ

yð0Þz

 !
½27�

The resulting transformed Eulerian mean equations
are [28a] and [28b] where terms that are fourth-order
in wave amplitude have been neglected. The trans-
formed Eulerian mean equations [28] gain

u
ð0Þ
T � �vvn f � uð0Þy

h i
þ �wwnuð0Þz ¼ = . Fep ½28a�

�yynT þ �vvn�yyny þ �wwn�yynz ¼ �QQn ½28b�
their significance not only from the fact that the eddy
forcing termshave been collected into a single termbut
also from the fact that this single term, = . Fep, is the
same as the term describing the evolution of the
pseudomomentum in [19]. There is thus a clear link
between the wave forcing of the mean flow and the
wave propagation. The solutions of eqns [28a, b] are
constrained by the thermalwind equations [12] for the
zonal flow and by mass conservation in the residual
circulation. This in turn means that the eddy forcing
and the thermal forcings ð= . Fep and �QQn respectively)
cannot, in general, be independently specified. When
considering wave-driven circulations, the thermal
term may be considered as a relaxation term, pulling
the atmosphere back toward a thermal equilibrium on
a time scale TQ, say. In other contexts it may make
more sense to consider the thermal term as forcing,
rather than responding.

The system still has two modes of response: zonal
acceleration or meridional circulation. The relative
magnitude of these two modes can be analyzed by
eliminating the meridional circulation from [28a, b]
using the equation of mass conservation
ð�vvny þ r�1

s ðrs �wwnÞz ¼ 0Þ, and expressing the tendencies
in terms of a potential ðuð0ÞT ; yð0ÞT Þ ¼ ðwy;�yreffg�1wzÞ
(which is possible because of the thermal wind
equation). An elliptical equation for w can then be
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derived. Analysis of this equation reveals that the
nature of the response depends on the nondimensional
parameter CF ¼ CT=ð1þ B�1Þ, where CT ¼ TF=TQ is
the ratio of times scales. (TF is the time scale of the
forcing) and B ¼ L2

Ff
2=ðH2

FN
2Þ is the Burgers number

(N is the Brunt–Väisälä frequency; LF, HF are the
horizontal and vertical length scales of the eddy
forcing). If CF is large, the response will tend to be in
the meridional circulation; when CF is small, the
response will be mainly in the zonal acceleration.
Small CF may result from either a small ratio of
time scales or a small Burger number. If, for example,
we take parameter values representative of
large-scale seasonally varying forcing ðLF ¼ 106 m,
HF ¼ 8�103 m, TF ¼ 8�106 s, TQ ¼ 8�105 s, and
N2 ¼ 4�10�4 s�1) then taking a tropical value of the
Coriolis parameter ðf ¼ 10�5 s�1Þ gives CF � 0:04,
whereas taking a mid-latitude value ðf ¼ 10�4 s�1Þ
gives CF � 4.

Thus, for eddy forcing on seasonal times scale the
mid-latitude response should be dominated by the
meridional circulation, whereas the tropical response
will be dominated by zonal accelerations. The next
section analyses the latter scenario in more detail.

The Quasi-Biennial Oscillation

As the title ‘wave mean-flow interaction’ implies, it is
important not only to understand how the waves
modify the mean flow but also to quantify how the
mean flow affects the waves. The latter component of
the interaction is illustrated beautifully by the cyclic
variation in the zonal winds of the tropical strato-
sphere known as the quasi-biennial oscillation (QBO;
see Middle Atmosphere: Quasi-Biennial Oscillation).

The QBO is a wave-forced oscillation with an
irregular period slightly longer than 2 years. The
atmospheric phenomenon is described in more detail
in a separate article. The QBO is forced by a variety of
different waves. Here the focus will be on a simple
conceptualmodel forced by a single class ofwaves that
are thought to play an important role. To further
simplify the exposition, the meridional structure will
be neglected and the Coriolis parameter will be taken
as zero. These simplifications eliminate the Rossby,
Rossby-gravity, inertial, and Kelvin waves from the
system, leaving only gravity waves.

In this case there is a very good separation of scales.
The mean flow varies with a period of slightly over 2
years, whereas the time scale for the propagation of
waves through the stratosphere is a matter of hours or
days, depending on the type of waves in question.

Since the wave equations include a z-dependent
coefficient, uð0Þ, they do not have simple sinusoidal

solutions. However, if the vertical scale of the varia-
tion is large compared to the verticalwavelength of the
waves, this variation can be neglected to leading order.
This approximation can be made rigorous using the
Liouville–Greenmethod, but a detailed analysis of the
approximations made will be omitted here to preserve
the focus onwavemean-flow interaction. To deal with
this rigorously, it is necessary to introduce a scale
separation between the wavelength of the eddies and
the length scale of variations in the mean flow.

If the vertical variation of uð0Þ is neglected these
equations have solutions of the form [29], where g ¼
1=ð2HÞ and ½~yy; ~uu; ~ww; ~FF� are complex constants.

½yð1Þ; uð1Þ;wð1Þ;Fð1Þ� ¼ Ref½~yy; ~uu; ~ww; ~FF�
� expðiðkxþmz� otÞ þ gzÞg ½29�

If [29] is substituted into the linear eqns [13] to [17], it
is found that these constants must satisfy the matrix
equation [30].

iðo� uð0ÞkÞ 0 yð0Þz 0

0 iðo� uð0ÞkÞ 0 �ik

0 ik im� g 0

1 0 0 ðimþ gÞy0g�1

0
BBBB@

1
CCCCA

�

~yy

~uu

~ww
~FF

0
BBB@

1
CCCA ¼ 0 ½30�

Equation [30] only has nonzero solutions if the
determinant of the matrix vanishes. This condition
leads to the dispersion relation [31] relating the
frequency o to the wave vector ðk;mÞ.

o ¼ kuð0Þ 	 kNffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
m2 þ g2

p ½31�

The corresponding group velocity is given by eqn [32].

cgz ¼ qo
qm

¼ kmN

ðm2 þ g2Þ3=2
½32�

If such a plane wave propagates into a region of
different uð0Þ, then [31] must continue to be fulfilled.
The frequency and zonal wavenumber are fixed by the
boundary conditions, so the only means that the wave
has of maintaining [31] is by adjusting the vertical
wavenumber m. Rearranging [31] gives eqn [33].

m2 ¼ N

c� uð0Þ

� �2

�g2 ½33�

As c� uð0Þ decreases,m2 must increase. This will have
two effects: The speed of vertical propagation will
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decrease and the rate atwhich thewave is dissipated by
thermal damping will increase.

With the neglect of the meridional structure,
the wave activity eqns [18] to [21] are greatly
simplified:

At � ðrswð1Þuð1ÞÞz ¼ D ½34�
Equation [34] shows that steady ðAt ¼ 0Þ conserv-

ative ðD ¼ 0Þ waves have vanishing Reynolds stress.
In other words, there is no wave mean-flow interac-
tion. Nonconservative processes could include radia-
tion and nonlinear processes associated with wave
breaking. In keeping with the policy of taking the
simplest representation necessary to illustrate wave
mean-flow interaction, these nonconservative pro-
cesses will be represented by a simple linear damping
on the wave activity.

The wave field is most easily represented as a
superposition of weakly interacting waves, each iden-
tified by a wavenumber and frequency. The or-
thogonality of the different waves then implies that
the Reynolds stress and the wave activity can both be
expressed as the sum of the contributions from
individual waves. Let ~AAðk;o; zÞ be the wave activity
associated with wavenumber k and frequency o, and
suppose that the corresponding linear damping rate is
aðk;oÞ. For steady conditions (that is, with no
variation on the short time scale) and neglecting order
e4 term associated with slow time scale variations, the
wave activity equation becomes [35].

q
qz

rswð1Þuð1Þ
h i

¼
X
k;o

a~AAðk;o; zÞ ½35�

Asmentioned above, the z dependence ofA is assumed
to take place on a scale much larger than the vertical
wavelength.

With u
ð0Þ
z ¼ 0 and qð0Þ ¼ qð1Þ ¼ 0, the contribution

to the pseudomomentum from a single wave compo-
nent is given by eqn [36], where the y indicates a
complex conjugate.

~AAðk;o; zÞ ¼ �Re½ðimþ gÞ~uu~yyy� rs
yð0Þz

½36�

The Reynolds stress can also be expressed as a sum of
different wavenumber and frequency contributions,
and it can be shown that eqn [37] holds.

wð1Þuð1Þrs ¼
X
k;o

Re½~uu~wwy�rs

¼ �
X
k;o

cgz ~AAðk;o; zÞ ½37�

Hence, given the independence of the propaga-
tion of different wave components, eqn [35] becomes

eqn [38].

q
qz

cgz ~AAðk;o; zÞ
h i

¼ �a~AAðk;o; zÞ ½38�

Integratingwith respect to z gives the vertical structure
of the wave activity (eqn [39]).

~AAðk;o; zÞ ¼ cgzð0Þ~AAðk;o; 0Þ
cgzðzÞ

� exp �
Z z

0

a
cgzðz0Þ dz

0
� �

½39�

The corresponding slow variation in the mean flow is
given by eqn [40].

rsu
ð0Þ
T ¼ �

X
k;o

a~AAðk;o; zÞ ½40�

In general, the dissipation rate awill depend both on
the wavenumber and the amplitude of the waves.
Figure 1 shows sketches of five different types of
behavior, depending both on the ratio of the dissipa-
tion time scale to the vertical propagation time scale
and on the type of dissipation. In I and II the
dissipation rate is constant. The key factor then is
whether the growth of the wave due to the density
effect dominates over the dissipation. For 2aH > cgz
thewave decayswith height (I), otherwise it grows (II).
Another possibility is that the wave encounters a
critical line (where the phase speed matches the mean
zonal wind, uð0Þ). In this case a is peaked near the
critical line and there is no propagation above the
critical line (III). Finally, the growth in amplitude with
height can lead to wave breaking. This can either be
continuous, where the value of a is such as to keep the
amplitude constant with height (IV), or catastrophic,
in which episodes of wave breaking drastically reduce
the wave amplitude (V).

4

3

2

1

0

Ι

ΙΙ

ΙΙΙ

ΙV

V

Figure 1 Different paradigms of dissipating vertically propagat-

ing waves. I, overdissipated; II, underdissipated; III, critical level;

IV, continuous breaking; and V, catastrophic breaking.
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In the equatorial stratosphere, Rossby-gravity
waves generally fit into category I, while Kelvin waves
and gravity waves are more likely to be in III–V.

In order to focus onwavemean-flow interaction, the
simplest form of dissipation will be assumed here:
a ¼ constant. It will further be assumed that the
criticality parameter 2aHc�1

gz is close to unity, so that
the wave amplitude does not vary greatly throughout

the domain. This situation lies between cases I and II in
Figure 1.

Figure 2 shows the acceleration that will result from
an initially sinusoidal vertical structure in uð0Þ (the
heavy solid line) when the wave field consists of two
vertically propagating waves with equal and opposite
zonal phase speeds, c ¼ 	c0. The dot-dashed lines
show how the wave activity would decay with height
in the absence of any mean flow. The thin solid lines
show the actual decay with height. There is a relative
enhancement of the c > 0 wave in the region uð0Þ > 0
and of the co0 wave in the region uð0Þo0. Taking the
sum of these, and rescaling, gives the heavy dashed
line. The forcing of the mean flow is proportional to
this line. There is a clear tendency to accelerate the
mean flow and also to displace the flow downward.

Summary

The theory of wave mean-flow interaction rests on a
division of the flow into a large-amplitude, slowly
evolving mean and a small-amplitude, rapidly evolv-
ing wave. Despite their small amplitude, the waves are
able to force significant changes to the mean flow on
the longer time scale relevant formean-flowevolution.
The time scale separation was used to derive one set of
equations describing the wave propagation and an-
other set describing the mean flow changes forced by
the waves.

The pseudomomentum is introduced to describe the
wave evolution over time and space scales much
greater than the typical wave scales. The pseudomo-
mentum gives a phase-independent measure of the
wave amplitude without introducing any approxima-
tions. This allows subtle effects arising from the slight,
mean flow-induced, variations in wave propagation
and absorption properties to be described accurately
and concisely.

It was then shown how a transformation of the
mean flowevolution equations allows the eddy forcing
terms they contain to be related to the evolution of the
pseudomomentum.

The way in which the mean-flow modification by
the waves and themodulation of wave propagation by
the mean flow can feedback on each other was
illustrated with a simple model of the quasi-biennial
oscillation, forced by gravity waves.

The amplification of zonal flow anomalies due to
gravity wave forcing can arise because a positive zonal
flow anomaly slows down the vertical propagation of
those gravity waves with a positive phase velocity. The
slower vertical propagation leads to a stronger inter-
action within a given height range. In the case of
gravity waves, this interaction tends to drive the zonal
flow toward the gravity wave phase speed. The end

0.0

0.2

1.0

0.8

0.6

0.4 u

ut

Ac >0Ac<0

Figure 2 Idealized forcing generated by gravity waves propa-

gating through a sinusoidally varying basic state (see discussion

in text).
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result is that the positive flow anomaly will be
reinforced through a stronger interaction with gravity
waves having a positive phase velocity.

The downward propagation of the zonal flow
anomalies depends on the details of the selective
wave absorption. If there is strong absorption, the
amplitude of the positive phase speed waves will
decrease with height through the region of positive
winds. This means that a given flow anomaly will be
reinforced more strongly below its maximum than
above. The displacement of the forcing relative to the
anomaly causes the anomaly to drift downward. The
fact that waves of a positive phase velocity are being
preferentially absorbed in a positive flow anomaly
means that higher up there will be a deficit relative to
the negative phase velocity waves. This implies that
there will be a net negative forcing at higher levels,
tending to generate negative flow anomalies above
positive ones. The negative anomalies will then drift
downward, so that a repeating pattern of alternating
and descending mean flow anomalies is generated.

Wave mean-flow interaction is important in many
other areas of atmospheric dynamics, such as sudden
warmings in the winter polar stratosphere, in the
maintenance of the jet streams in the extratropical
upper troposphere, and in the formation of blocks at
the end of the mid-latitude storm tracks. The theory
makes it possible to analyze these complex flows in
terms of the propagation of small-amplitude waves
and their feedbackon themeanflow.Thewave activity
formalism allows the wave propagation to be de-
scribed in terms of the group velocity and provides a
direct link between that propagation and induced
changes in the mean flow.

Nomenclature

A Pseudomomentum
CF Nondimensional constant determining mode

of response
D Damping for pseudomomentum
Fep Eliassen–Palm flux ðFep

ðyÞ; F
ep
ðzÞÞ

F;G Frictional terms in the horizontal momentum
equations

H Reference density scale height
HF Height scale of eddy forcing
LF Length scale of eddy forcing
N Brunt–Väisälä frequency
Q Adiabatic heating rate
T Slow time
TF Time scale of eddy forcing
TQ Time scale of radiative relaxation
cg Group velocity

cgz Vertical component of the group velocity
f Coriolis parameter
g Acceleration due to gravity
k Zonal wavenumber
m Vertical wavenumber
q Potential vorticity
t Time
ðu; v;wÞThree-dimensional wind vector, see text for

definition of various subscripts and super-
scripts

ðx; y; zÞ Cartesian coordinates
a Damping rate for pseudomomentum
g 1=ð2HÞ
e Amplitude of waves
y Potential temperature
yref Constant reference potential temperature
rs Density
t Fast time
o Frequency
Mathematical notation
= Gradient operator in the y–z plane
ð Þ Zonal mean
ð Þn Transformed Eulerian mean
ð Þ� Fourier coefficient
ðnÞ (Superscript) nth order in e-expansion

ðn ¼ 0; 1; 2Þ
x;y;z;t;T (Subscripts) partial differentiation

See also

Dynamic Meteorology: Overview; Waves. Middle At-
mosphere: Gravity Waves; Quasi-Biennial Oscillation;
StratosphericSuddenWarmings.TropicalMeteorology:
Equatorial Waves.
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Introduction

Inadvertent weather modification refers to any chang-
es in the weather resulting from human actions done
for purposes other than changing the weather. Human
activities have accidentally been able to change all
facets of the weather at and near the Earth’s surface.
For example, major cities change every facet of their
weather, including the number of thunderstorms; large
irrigated areas create clouds and rainfall when condi-
tions are right; and jet aircraft often create cirrus
clouds. The list of accidental weather changes is
almost endless. However, many such changes in the
atmosphere from human changes in the biosphere
have been relatively localized, and their effects typi-
cally create weather changes occurring on scales
ranging from 1km2 up to 10 000 km2.

Knowledge that humans were altering the weather
became commonplace about 200 years ago as resi-
dents of many of Europe’s larger cities recognized that
urban areas had poorer visibility due to the increase in
haze and smoke and higher temperatures than did
their surrounding rural areas. Serious studies of urban
effects on weather developed in Europe in the nine-
teenth century and intensified as networks of surface
weather stations yielded data that allowed scientists to
define the patterns of temperature, humidity, and
precipitation in and around cities. The industrial
revolution began in the nineteenth century and led to

many more weather changes. For example, by 1880
scientists in England discovered that more rainfall
occurred on work days, Monday through Friday, than
on nonwork days (Saturday and Sunday), a result
correctly assessed as an effect of industrial pollutants.

The growth of meteorological knowledge about the
atmosphere’s behavior, which expanded rapidly dur-
ing the twentieth century, brought forward investiga-
tions of howother land use changes by humans and the
emissions from factories and vehicles altered the
weather. Progress in detecting and understanding
inadvertent weather modification came rapidly in the
latter half of the twentieth century as new remote
sensors, including satellites and radars, made it much
easier to detect and measure conditions. Major
advances in meteorological knowledge now allow
use of numerical modeling to estimate urban heat
islands and other weather anomalies. Interest in and
concern over inadvertent weather changes grew as the
recognition of the widespread and significant magni-
tude of these changes developed among the citizenry
and public officials. The weather changes accidentally
wrought by human activities translate into climate
changes when the weather change becomes fre-
quent and significantly different from the climate
values expected in a natural, unaffected environment.
Figure 1 shows the average summer pattern of
thunderstorms around St. Louis, MO, revealing a
localized increase from about 16 storm days per
summer in the region’s rural areas to a peak of 28 days
in and east of the city. Studies of individual summer
days revealed those days when the weather conditions
were changed sufficiently by St. Louis to initiate
thunderstorms. For example, in one summer seven
added storm days occurred over the city, whereas
16 added storm days were created in the following
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summer, revealing the large year-to-year variability
that exists in most inadvertent weather changes. Many
inadvertent weather changes are intermittent and
depend on the type of natural weather conditions
existing.

Atmospheric Processes Changed

Changes that humans have made to the biosphere that
translate into effects on various atmospheric processes
include


 surface color (albedo);

 surface topography (roughness) and orientation;

 subsurface materials (soils) including their thermal
conductivity, thermal capacity, and hydraulic con-
ductivity;


 artificial sources and sinks of heat,moisture, andmass;

 heat released naturally or artificially at the ground;

 amount of water and dust;

 biota.

Basically, the above changes result from two major
human activities: changes in the existing natural land
use, and emissions of gases and particles as a result of
combustion. Acting individually or in concert, these
characteristics affect certain basic processes of ex-
change between the biosphere and the atmosphere,
which, in turn are themselves interactive. These
exchange processes include


 the sensible heat budget;

 the moisture budget;

 momentum exchange;

 mass (other than water) exchange;

 atmospheric electrical exchange properties.

Alterations in these exchange processes affect a wide
variety of weather conditions. Those commonly

altered are at the surface and in the low levels of the
atmosphere and include


 radiation;

 temperature;

 humidity;

 wind speed and direction;

 visibility (fog and haze).

These changes are further associated with changes in
conditions extending farther aloft in the atmosphere
including clouds, precipitation, and storminess. Mi-
crophysical processes in clouds are changed by urban
and industrial emissions of various particles, including
soluble aerosols and ice nuclei, as well as by additional
moisture and enhanced vertical airmotions. Emissions
of some trace gases, such as sulfur dioxide from the
burning of coal, can also lead to new particle forma-
tion and altered cloud properties. In some instances,
emissions are injected into the upper atmosphere by
high-flying aircraft.

Effects of Changed Land Use
Conditions

The description of what has been found about inad-
vertentweathermodification is organized around land
use types and emissions.

Urban Areas

A major means whereby humans have affected
weather has been through the creation of urban
environments. In the thirteenth century, residents of
London first noted that the city had temperatures and
fogs different from those in surrounding rural areas.
The industrial revolution and associated rapid growth
of cities that began in the nineteenth century resulted
in significant local and regional-scale changes in
weather both in and near urban locales. Even small
towns of a few thousand population create an effect on
temperatures and have an ‘urban heat island’, and
large cities like New York create much higher temper-
atures ranging from 3 to 71C above rural values.

Cities are major converters of energy and matter,
and their products affect the heat and moisture
budgets as well as the exchange of mass into the
atmosphere. Hence, urban areas alter all forms of
weather. The list of changes includes increased con-
taminants in the air, less solar radiation, higher
temperatures, decreased visibility, lower humidity,
altered wind speed and direction, greater cloudiness,
added precipitation, altered atmospheric electricity,
added severe weather events, and changes to meso-
scale synoptic weather conditions including fronts.
The degree of change in any of these elements at any
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given time depends upon (1) the areal extent of the
urban complex, (2) its industrial types, (3) its juxta-
position to large water bodies and topographic
features such as mountain ranges, (4) the time of day,
(5) the type of natural background weather system
present at any given time, (6) the season of the year,
and (7) the climate. Urban areas often act as mechan-
ical barriers to low-level airflow and can even retard
the action of fronts. Temporal differences produced by
cities can be illustrated by solar radiation, which is
decreased by urban aerosols, and the decrease is much
greater inwinter than in summer, is decreasedmore on
weekdays thanweekends, and is decreasedmore in the
morning than in the afternoon.

Figure 2 shows the long-term frequencies of smoke
and haze days as measured at several US Midwestern
cities of varying sizes. These visibility-related data are
quantitative surrogates of the effects of growing cities
and are the only type of pollutant-related data
systematically collected since the start of the twentieth
century. Chicago, the largest of the cities considered,
was the first to show an increase and one that rapidly
became sizable; smaller industrial cities like Moline,
Springfield, and Peoria also showed increases begin-
ning later in the 1930s and 1940s. The only small
nonindustrial city, Cairo, has no apparent increase.

Weather changes resulting from urbanization are
summarized in Table 1. Changes that are easy to
measure include visibility, temperature, and winds.
Visibility in and downwind of a major city is usually
diminished. The most radical change produced by a
city is in the heat balance. In-city temperatures are

generally higher than nearby rural values, the differ-
ence being greatest at night, but in the early morning
the urban temperatures are sometimes slightly lower
than rural values. Heat-island effects have been
measured in hundreds of cities of widely varying sizes
and climates, and can now be numerically modeled
based on the urban size and shape. The daytime urban-
generated heating can extend vertically up to several
thousand meters above a large city, and in some
situations a heat plume extends downwind of the city.
Urban areas also act as physical obstacles to low-level
winds, decreasing their speeds in the city and altering
wind directions near the surface. When low wind
speeds are present, a rural-to-urban circulation pat-
tern often develops.

Urban weather changes that are more difficult
to measure include alterations in humidity, fogginess,
cloudiness, precipitation, snowfall, solar radiation,
atmospheric electricity, and severe weather. Humidi-
ties over cities are generally decreased because there is
less evapotranspiration from urban areas than from
rural areas owing to the presence of hard surfaces and
the lack of plants. However, certain urban-located
industrial activities release large volumes of moisture
from combustion and cooling devices.

Various urban–industrial complexes affect clouds,
precipitation, and related severe weather conditions.
These effects are difficult to measure and often extend
5–50 km beyond the city. In general, only large cities,
typically those with populations exceeding one mil-
lion, create localized changes in clouds and related
precipitation processes. A major field study centered
on St. Louis in the 1970s defined how a city alters
clouds and precipitation. Clouds and the formation of
precipitation depend on vertical motions in the
atmosphere, the presence of adequate moisture, and
small particles that serve as cloud and raindrop
nuclei. St. Louis often deflected the low-level airflow,
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Table 1 Average weather changes resulting from urbanization,

as measured at many cities in varying climatic zones

Annual Cold season Warm

season

Contaminants (volume) 11000% 12000% 1500%

Solar radiation

(Langleys)

� 22% �34% �20%

Temperature (1C) 12 13 11

Humidity (relative) � 6% �3% �8%

Visibility (frequency) � 26% �34% �17%

Fog (frequency) 160% 1100% 130%

Wind speed � 25% �20% �30%

Cloud frequency 18% 15% 110%

Rainfall amount 114% 113% 115%

Snowfall amount 110% 110% F
Thunderstorm

frequency

116% 15% 130%
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resulting in a convergence zone in the lee of the city, a
condition that enhanced vertical motions, as did the
heat being released by the city. The city was also a
source of various aerosols, including cloud condensa-
tion nuclei essential to cloud droplet formation, and
certain industrial emissionswere found to add freezing
nuclei, a key to raindrop formation.Cities are complex
rainmakers. In the warm season the enhanced con-
vection also led tomore thunderstorms and hail in and
east of the city.

Industrial Complexes

Some industrial complexes are isolated away from
cities, and certain such rurally located industrial
centers that produce large releases of moisture, heat,
and particles have been found to create measurable
localized weather changes. For example, power gen-
erating plants, largely through the release of moisture
and latent heat from cooling lakes or towers, have
been found to create frequent fogs, icing, and clouds,
and in some instances rain and snow showers. These
effects are most common in winter. Large fires from
natural gas fields have been noted to create clouds and
sometimes rain.

Nonagricultural Rural Areas

This land use category embraces large portions of the
Earth’s land surface and includes deserts, swamps,
grasslands, forests, and high-altitude barren areas.
Deserts have been modified by overgrazing, warfare,
and overcultivation, and these activities have loosened
the surface, causing soil deflation. The resulting dust
added to the atmosphere alters the regional radiation
budget. Deforestation leads to increases in solar
radiation at the surface, altering surface temperatures
and evapotranspiration. Deforestation in eastern
Europe was found to have lead to less rainfall, and in
more tropical areas deforestation has led to greater
temperature extremes and altered rainfall. Human
alteration of natural grasslands, largely by converting
them to pasture lands, has led to overgrazing and some
dramatic changes in weather, including less cloudiness
anddecreases in rainfall. The drainage ofwetlands and
swamps has produced small-scale effects on surface
conditions, including higher surface temperatures.

Agricultural Areas

All forms of agricultural land use affect the weather,
including cultivated fields, pastures, orchards, and
planned forests. The burning of agricultural residues
in certain areas of the world adds heat and particles,
and in turn these reduce visibility, reduce incoming
solar radiation, change clouds, and, in some instan-
ces, decrease rainfall from the addition of too many
cloud condensation nuclei. Irrigation over large areas

changes the surface albedo and adds moisture to the
atmosphere. In some climate zones such as the High
Plains of the United States, large-scale irrigation has
increased clouds and rainfall in and beyond the
irrigated area. Different crops have different transpi-
ration rates, leading to soil moisture differences, and
when different crops are adjacent and planted over
large areas the resultingmoisture differences affect the
boundary-layer structure. This can alter mesoscale
wind conditions and can lead to convection, clouds,
and rainfall. Other weather changes from agricultural
activities include the use of hedgerows,which decrease
wind speeds, and crop spraying, which adds micro-
sized particles capable of affecting cloud formation.

Marine Areas

The creation of large reservoirs in certain drier
climates has led to increased clouds under certain
conditions. The potential for purposefully modifying
the weather in dry areas using reservoirs has been
explored and modeled to ascertain the possible effects
on clouds and rainfall.

Transportation Corridors

The exhaust from high-flying aircraft often leads to
contrails, which in high-frequency flight corridors
leads to shields of cirrus clouds covering thousands of
square kilometers. In parts of the central United States
contrail-generated cirrus has increased the number of
cloudy days by 30%. These added clouds have also
decreased surface daytime temperatures. Heat and
particulate emissions from vehicles on high-density
transportation corridors sometimes lead to fogs and
decreased visibility along and adjacent to the corridors.

See also

Aircraft Emissions. Climate: Overview. Deserts and
Desertification. Fog. Land–Atmosphere Interac-
tions: Overview. Microclimate. Reflectance and Al-
bedo, Surface.
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Introduction

Modern data assimilation requires two sets of infor-
mation to generate an estimated analysis of the current
state of the atmosphere: (1) a set of recently collected
observations, and (2) a prior forecast estimate of the
state of the atmosphere valid at the time of the
observations, known as the background. The new
observations are used to adjust, or ‘update’ the
background in a manner designed to produce a
minimum-error analysis. This process is continually
repeated: a short-term forecast from the analysis to the
next data assimilation time, and the updating using
new observations. Typically, the background and the
subsequent analysis consist of information such as
winds, temperature, and humidity at a regular set of
grid points around the world. The observations are
nonuniformly distributed. For example, rawinsonde
(weather balloon) observations are most densely
concentrated over land areas in developed countries.
Where observations are abundant and accurate,
the subsequent analysis is typically low in error;

conversely, where observations are sparse or inaccu-
rate, the analysis will be nearly unchanged from the
background, which may have significant errors. For a
given location, the specific value of the background
error will change from day to day, depending on
current and prior weather conditions. For example,
one might expect generally smaller background error
in a region influenced by a quiescent, large-scale, high-
pressure system than for a region in the middle of a
storm track. Near the storm track, errors in the prior
initial conditions may have been amplified rapidly in
the time leading up to the next analysis cycle.

Suppose now that, in addition to a routine network
of observations, additional observations could be
collected sporadically for a moderate cost. These
observations might come from soundings dropped
from planes or drifting balloons, or theymight involve
the processing of special satellite data, data that may
be too expensive to collect or to assimilate over wide
regions. The observations would be taken at a loca-
tion(s) chosen tomaximize the expected improvement
in some aspect of the ensuing analysis or the subse-
quent forecasts. This general problem is known as
targeting, or sometimes as adaptive observations.
Adaptive observations may also connote the adaptive
rearrangement of existing observational resources.

Which adaptive observation location is ‘optimal’
will depend on how one chooses to measure optima-
lity. Perhaps the criterion is to choose locations that
maximize the reduction of analysis errors after the
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assimilation of the observations. However, perhaps it
is judgedmore important tomake sure that the 36-h or
72-h forecast over your region is improved as much as
possible. The optimal observation locations for each
of these three choices may differ. And even if you
choose to maximize the reduction in analysis errors,
the optimal location may be ‘norm-dependent’. For
example, the optimal location may be different
depending on whether you want to maximize the
reduction over Europe or North America, or whether
improvement in 300 hPawinds or surface temperature
is most important.

An additional complication is that it may cost
different amounts to observe at different locations; it
may be much cheaper to fly a plane 500 km off the
Pacific coast of the United States to take a supplemen-
tal observation than to fly a plane 5000 km off the
coast. Even if the nearby observation is somewhat less
crucial, its lower cost may make it of better value.
Additionally, if one is to fly an expensive plane out to
take observations, more than one observation may be
desired along the flight path: so what combination of
locations should be chosen?Themore there are of such
factors, the harder the problem of deciding an optimal
location becomes. To distill the problem to its essence,
we will ignore some of these complicating factors. Let
us focus on trying to understand how to select a target
location to minimize analysis error and then later to
minimize subsequent forecast error. These general
principles can serve as the framework for more
complex methodologies discussed in recent journal
contributions.

Data Assimilation Basics

A necessary prerequisite to understanding how to
choose observation locations is a basic knowledge of
data assimilation and predictability theory. Some
background in basic statistics and linear algebra is
assumed as well (seeWeather Prediction:Data Assim-
ilation). The suggested Further Reading gives more
background than is possible here. Treatments of
adjoint models may also be of some help. We provide
a brief review that follows the terminology of Bayesian
statistics and ‘Kalman filtering’. The reader may be
more familiar with other data assimilation schemes
such as four-dimensional variational analysis, or ‘4D-
Var’. Although at first glance 4D-Var is posed very
differently from the Kalman filter, there is an under-
lying similarity, and the basic conclusions on where is
best to observe should be robust.

The atmosphere is of course a continuum, but let us
start by making the simplifying assumption that it can
be described adequately by its state at a regular set of
grid points. The true state is and always will be

unknown; all we can do is to estimate the state as
carefully as possible and hope to keep track of how
accurate our estimate of the true state is. Accordingly,
we assume that the true state can be described by an
n-dimensional random vector Xt. Before the assi-
milation of observations, we make a convenient
assumption that the probability distribution pðXtÞ, i.e.,
the probability distribution for the true state of the
atmosphere, is a multivariate Gaussian, i.e., pðXtÞ �
Nðxb; PbÞ. The mean and most likely state is the back-
ground forecast xb, and the distribution about this
mean is embodied in the ðn�nÞ-dimensional covariance
matrix Pb ¼ hðXt � xbÞðXt � xbÞTi where h . i denotes
the expectedvalue of the distribution, and superscriptT
denotes the transpose. Observations are samples of the
true state of the atmosphere plus noise, so the true
observations are considered random. The probability
distribution for the observations is also assumed to be
Gaussian in shape: pðYoÞ � Nðyo;RÞ. The form for the
uncertainty in the observations is embodied in the
ðd�dÞ-dimensional covariance matrix R.

One can proceed from the assumptions about the
distribution of these errors and derive an expression
for the updated probability distribution given (that is,
conditional upon the assimilation of) the new obser-
vations pðXtjYoÞ � Nðxa; PaÞ. The mean of the up-
dated probability distribution is just the analyzed state
xa, specified from eqn [1], whereK in given by eqn [2].

xa ¼ xb þ Kðyo �HxbÞ ½1�
K ¼ PbHTðHPbHT þ RÞ�1 ½2�

Consider the form of eqn [1]; the analyzed state is a
correction to the background state,with the correction
using information on the difference between the
observations and the background. K is the n�d
‘Kalman gain’ matrix, named after the investigator
who first framed data assimilation in this manner. The
Kalman gain matrix indicates how to convert and
spread the influence of the ‘observation increments’
ðyo �HxbÞ to grid points in the area around those
observations.H is an operator that converts themodel
state to the observation location and type; HT is the
transpose of this operator. If observations are simple,
such as temperature, then the operator H is simple,
perhaps just an interpolation to the station location
using surrounding grid points. If the observation is less
tangible (say, the radiance received in a given frequen-
cy band by a satellite), the operator H may be
nonlinear and very complex, and the analysis requires
a more general (though qualitatively similar) ap-
proach to that considered here.

In the Kalman filter framework, there is also a
companion equation to predict the analysis-error
covariance matrix after the assimilation of the
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observation, Pa (eqn [3]).

Pa ¼ ðI� KHÞPb ¼ Pb � KHPb ½3�
Every element of Pa will be the same as or smaller than
the corresponding element of Pb – in other words,
assimilating data alwayswill reduce the expected error
variances/covariances.

There are two attractive properties for the adaptive
observation problem when the data assimilation
problem is framed in this manner. First, if one has a
background forecast andassociatedbackground-error
statistics, one can assimilate all the observations
simultaneously. However, one can also assimilate mu-
tually independent sets of observations one after the
other, where the analysis and analysis-error covari-
ances after the first observation are used as the
background and background-error covariances for
the assimilation of the second observation, and so on.
The same analysis and covariance matrix is obtained
either way. In the context of adaptive observations, this
means that the fixed network of observations can be
assimilated and the analysis-error covariance deter-
mined, and this then provides the background and
background-error statistics necessary for determining
where to choose an adaptive observation location.

The second advantage is that the assumption of
Gaussian nature of errors permits the expected anal-
ysis-error covariances to be predicted via eqn [3]
without actually assimilating observations. Note that
eqn [3] uses background-error and observation-error
covariances (R is in the definition of K) to predict
analysis-error covariances but does not require the
actual data. Thus, suppose we have an estimate of the
background-error covariances Pb before the assimila-
tion of any observations, knowledge of where the
observations are (throughH), and their error statistics
(through R). We can model how these covariances are
updated from the assimilation of the regular network
of observations by using eqn [3]. These updated
covariances can then serve as our model of back-
ground-error covariances when choosing an adaptive
observation location.

Selecting Locations to Maximize
Reduction of Analysis Errors

To illustrate someof the principles behind the selection
of observation locations, let us take a very simple
system. Here we assume that we want to choose
observation locations that minimize analysis-error
variance after the regular and the adaptive observa-
tions have been assimilated. To explore the factors
involved, let Xt be a two-dimensional random vector
ðXt

1;X
t
2Þ. Assume that Pb is of the form given in eqn [4].

Pb ¼ s21 c12
c12 s22

� �
½4�

The variances ofXt
1 andXt

2 are on the diagonal and the
covariance between the two on the off-diagonals.Yo is a
random scalar variable for the true state of the observa-
tions, taken at the location ofXt

1; the units ofY
o andXt

1

are the same, and pðYoÞ � Nðyo; s20Þ, i.e., the observa-
tion probability distribution has a mean with the actual
value of the observation and error with variance s20.
HenceH ¼ ½1; 0�.Under these assumptions, eqns [1]–[3]
can be rewritten to predict the expected analysis mean
state (eqns [5a, b]) and the analysis-error covariance
matrix Pa (eqn [6]).

xa1 ¼ xb1 þ
s21

s20 þ s21
ðyo � xb1Þ ½5a�

xa2 ¼ xb2 þ
c12

s20 þ s21
ðyo � xb1Þ ½5b�

Pa ¼ VarðXt
1jYoÞ CovðXt

1jYo;Xt
2jYoÞ

CovðXt
1jYo;Xt

2jYoÞ VarðXt
2jYoÞ

� �
½6�

The components of Pa can be shown to be as given in
eqns [7a, b] and [8].

VarðXt
1jYoÞ ¼ s21 1� s21

s20 þ s21

� �
½7a�

VarðXt
2jYoÞ ¼ s22 �

c212
s20 þ s21

½7b�

CovðXt
1jYo;Xt

2jYoÞ ¼ c12s20
s20 þ s21

½8�

Consider two factors that control how much
the total analysis-error variance VarðXt

1jYoÞ þ
VarðXt

2jYoÞ is reduced. The first is the background-
error variance s21. From inspection of eqn [7a], the
reduction of error variance from the background to the
analysis will be large when s21 is large compared to s20.
Similarly, the reduction in error variance for the second
component is proportional to c212; the larger the
magnitude of the covariance, the larger the reduction
in error variance from the background.

There are two lessons from this for selecting ada-
ptive observation locations: first, in a higher-dimen-
sional model, it is generally preferable to observe at
locations where the background error-variance is
large. Second, should background-error variances be
similar for two candidate locations, observe at the
location that has high magnitude covariances with
many surrounding grid points. In this manner, the
analysis-error variance is significantly reduced not
only at the observation location but also atmany surro-
unding grid points whose errors are strongly correlated
with the errors at the observation location.

These propositions assume that background-error
statistics are flow-dependent, that is, they vary from
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location to location and day to day, and it is assumed
that accurate models of them are possible. Background
(i.e., forecast) errors typically result either from imper-
fections in the forecast model’s representations of the
dynamics or from the intrinsic growth of small errors
due to chaotic processes. Both of these errors are state-
dependent, meaning that they are likely to differ
depending on the local weather conditions of the day.
For example, background errors may grow rapidly in
the vicinity of jet streams and not grow as rapidly in the
middle of anticyclones. Unfortunately, in practice, it is
very difficult to forecast background-error covariances
that vary from location to location and time to time.
Only recently has it been practical to test data assim-
ilation and forecast schemes that allow background-
error covariances to evolve with the flowof the day and
vary in time and space and change in a correct manner
with the assimilation of new observations; techniques
such as the ‘ensemble Kalman filter’ permit this.
Although Kalman filter notation and concepts are
convenient for understanding data assimilation prob-
lems, at the time of writing no numerical weather
prediction facility uses such a method operationally.

Most weather prediction facilities currently use
some simplermodel for background-error covariances
in their data assimilation schemes. A common as-
sumption in data assimilation is that the background-
error covariances Pb are (1) unchanged from one time
to the next, (2) unchanged from one location to the
next, and/or (3) that covariances between grid points
are simple functions of their separation. These as-
sumptions are quite restrictive; they affect not only the
selection of adaptive observations but the efficient
assimilation of the fixed network of observations. For
example, if background-error variances are flow
dependent and much larger in the vicinity of jet
streams than anticyclones, it makes sense to choose
adaptive observation locations near the jet streams
and to specify larger background-error statistics in
these regions so that the observation is more
highly weighted. This also highlights another issue in
adaptive observation selection; the benefit from as-
similating the adaptive observation depends on the
quality of the data assimilation methodology. An
observation may be accurate and put into a location
where there is truly large uncertainty in the back-
ground, but a high-quality data assimilation system
using carefully estimated error statistics may be neces-
sary to effectively assimilate that observation.

Selecting Locations to Maximize
Reduction of Forecast Errors

There are at least two reasons why one might want to
consider choosing observation locations to maximize

the reduction in forecast error rather than analysis
error. The first reason is simply that, all things being
equal, a better forecast may be more important and
societally useful than a better analysis (through a
better analysis should generally improve the forecast).
Second, as mentioned above, operational weather
prediction facilities currently do not use data assim-
ilation schemes that permit the forecasting of flow-
dependent Pb and Pa. However, methods that examine
how forecast errors grow have been extensively used
in ensemble forecasting and 4D-Var assimilation.
Hence, if one can make simplifying assumptions about
the form of analysis errors, there are tools available to
examine the structure of subsequent forecast errors and
apply them to the task of adaptive observations.

Rather than dig into the mechanics of some of the
specific techniques that have been proposed, let us
again aim to understand some of the general princi-
ples. We continue using the Kalman filter framework.
We consider two subsequent forecast-error covariance
matrices at some time after the assimilation time, one
where the analysis does not include the assimilation
of an adaptive observation, Pfjb, and a forecast-error
covariance matrix with adaptive observation(s) in-
cluded,Pfja.One can show that in the absence ofmodel
errors (all forecast errors due just to errors in the initial
condition) and for approximately linear growth of
errors, Pfjb and Pfja can be approximated by MPbMT

and MPaMT, respectively, where M is the linear
tangent of the forecast model operator. If we are
interested in how much subsequent forecast error
reduction we get from a set of adaptive observations;
this canbemeasuredusingPfjb � Pfja ’ MðPb � PaÞMT.
Using eqn [3], one can show that eqn [9] holds.

MðPb � PaÞMT ¼ MðKHPbÞMT ½9�
Let us use a simple example to understand the

application of eqn [9]. Consider a two-dimensional
system.Here, let us assume that Pb is given by eqn [10].

Pb ¼ 1 0
0 1

� �
½10�

If s20 ¼ 1 and we have an observation at the first grid
point, thenH ¼ ½1; 0�, and it can readily be shown that
eqn [11a] holds.

KHPb ¼ 1=2 0
0 0

� �
½11a�

That is, from the assimilation of the observation, the
variance has been reducedby1=2 at the first grid point,
whereas neither the variance at the second grid point
nor the covariance were reduced. If we have an
observation at the second grid point, H ¼ ½0; 1� and
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eqn [11b] holds.

KHPb ¼ 0 0
0 1=2

� �
½11b�

Here, the variance is reduced by the same amount at
the second grid point. If one were to choose an
observation location based solely upon the reduction
of analysis-error variance, either location would
provide the same overall variance reduction. But let
us consider forecast-error variance. Suppose the fore-
cast operator has the effect of making errors translate
and grow. LetM be given by eqn [12].

M ¼ 3 0
0 2

� �
0 1
1 0

� �
½12�

Thus, the effect ofM on some error is to translate the
errors between the two grid points (the right-hand
matrix) and then grow the error (the left-hand matrix
in eqn [12]), with more growth at the first grid point.

If our observation is at the first grid point, then
H ¼ ½1; 0�, and hence one can show that eqn [13]
holds.

MKHPbMT ¼ 0 0
0 2

� �
½13�

If the observation is at the second grid point,
H ¼ ½0; 1�, and eqn [14] holds.

MKHPbMT ¼ 4:5 0
0 0

� �
½14�

Comparing eqns [13] and [14], it is apparent that there
is a greater reduction in the forecast-error variance if
the observation is taken at the second location, despite
the fact that in our operatorM from eqn [12] the error
growth is at the first grid point. The key is that there is
translation of the error as well. Hence, when selecting
an adaptive observation to maximize the reduction of
subsequent forecast error, we do not typically observe
where we expect the forecast error to be large; the key
is to trace backward to the analysis and find the
location that has the greatest effect on the subsequent
forecast-error growth. From field experiments, one
typically finds that the observation location is up-
stream from the region where forecast errors can be
reduced the most.

Final Comments

In this analysis we have neglected much. We have not
considered forecast-error growth resulting from the
use of imperfect models, and we have not discussed
many other proposed techniques. Aswell, we have not
discussed how ensemble forecasting is intimately

coupled with adaptive observations. Partly these are
editorial choices; the literature of adaptive observa-
tions is very recent, with most specific papers on the
subject appearing since the late 1990s, and researchers
have yet to reach consensus on the best approach.

None the less, the topic is extremely relevant.
Adaptive observations are likely to be used more
frequently if any of three technological innovations
take place:

1. The development of cheaper methods for taking
adaptive observations in remote locations; current
manned airplane flights are very expensive.

2. Better data assimilation methods; as discussed
above, adaptive observation algorithms can be
expected to provide the most benefit when coupled
with advanced data assimilation algorithms, espe-
cially ones that model flow-dependent back-
ground-error covariances.

3. The coming flood of new satellite observations. In
the coming years, even with growing computer
resources, satellite observations will be so ubiqui-
tous as to make assimilation of all of them impos-
sible. In this case, adaptive-observation techniques
may prove useful for deciding what subset of the
observations itwill bemost beneficial to assimilate.

Nomenclature

n Dimension of model state vector
d Dimension of observations
H ðd�nÞ-dimensional observation operator, con-

verting model state variable to observation
type and location.

K ðn�dÞ-dimensional Kalman gain matrix K ¼
PbHTðHPbHT þ RÞ�1

M Linear tangent of the model operator.
Pfja Forecast-error covariancematrix at a time after

the analysis time, given the assimilation of all
regular plus adaptive observations

Pfjb Forecast-error covariancematrix at a time after
the analysis time, given the assimilation of only
regular observations

Pb n�n background-error covariance matrix
Pa n�n analysis-error covariance matrix
pð . Þ Probability distribution
R ðd�dÞ-dimensional observation-error covari-

ance matrix
s20 Observation-error variance
s21 Background-error variance at grid point 1
s22 Background-error variance at grid point 2
c12 Background-error covariance between grid

points 1 and 2
xa1 Analyzed state at grid point 1
xa2 Analyzed state at grid point 2
xa n-dimensional actual model analyzed state
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xb1 Background state at grid point 1

xb2 Background state at grid point 2

xb n-dimensional actual model first-guess state
Xt n-dimensional random vector for true model

state ¼ ðXt
1;X

t
2Þ

Yo d-dimensional randomvector for theobservations
yo d-dimensional vector of actual observations
yo Observed value at grid point 1
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Introduction

Modern numerical weather prediction (NWP) models
represent the current state of the atmosphere using
many millions of numbers. Despite the growing
numbers of satellite and in situ observations, the state
is often poorly determined by the observations alone.
Accordingly, a data assimilation process in which the
NWP model state is fitted to past and present obser-
vations has replaced early computer methods of
producing an objective analysis by interpolating the
observations. Under certain simplifying assumptions,
the optimal assimilation is given by a sequential
estimation method known as the Kalman filter, but
this cannot be implemented in practice because it
require the manipulation of enormous covariance
matrices. A variational approach of fitting the model
state to observations is more practical, and has the
advantage of being able to use observations nonline-
arly related to the model state. Alternative methods
using ensembles are being explored, while simpler
methods are common for mesoscale systems.

Using Observations in Numerical
Weather Prediction

Modern weather prediction is based on numerical
forecast models that represent the atmosphere’s

variables (wind, temperature, pressure, moisture,
cloud, etc.) on a set of levels from the surface to the
stratosphere, and a horizontal grid (or equivalent
spectral representation) capable of resolving weather
systems. For instance, in 2002 the Met Office’s global
numerical weather prediction (NWP) model had 38
levels and a horizontal grid-spacing of 60 km; it
represents the atmosphere using 107 numbers. As
available computer power doubles every few years,
the size and complexity of models used increases
correspondingly.

An illustration of the number of observations
available to determine the initial state for a global
forecast model is shown in Table 1. In some places
some variables are well observed, indeed some obser-
vation types are thinned before use, but inmany places
many variables are poorly determined by the obser-
vations. Thanks to advances in remote sensing tech-
nology, and in automation, the quality and coverage of
observations is continuing to improve, but the re-
quirements for NWP models are increasing as well –
some areas and variables will remain relatively poorly
observed.

In the days of manual forecasting, before comput-
ers, the process of determining the initial conditions
from the observations was called weather map anal-
ysis. Early computer forecasting systems attempted to
replicate this by interpolating between the observa-
tions to a regular grid, using a so-called objective
analysis program. Because of the sparsity of observa-
tions, this approach does not meet the requirements of
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modern NWP for an accurate and detailed represen-
tation of all the atmosphere’s variables; extra infor-
mation must be used. NWP models are based on the
physical equations describing the atmosphere’s evolu-
tion, and hence encapsulate much of our prior
knowledge about the atmosphere. Thus we use an
NWPmodel as part of an efficient system to determine
the atmospheric state from incomplete observations.
This process is called data assimilation. It naturally
gives a picture of the atmospheric state in the form
needed to start an NWP forecast.

Data assimilation forNWPproceeds sequentially, in
cycles. A model state at a particular time summarizes,
in organized form, the information gleaned from all
earlier observations. The NWP model is integrated
forward to the times of the observations in the latest
batch. This provides a background state, with which
the new information is combined, to create a model
state that is a new best estimate. Following the old
manual terminology, this state is often called the
analysis. It is used to start the NWP model forecast in
the next cycle. If necessary, an initialization method is
used to make sure each NWP forecast starts smoothly.
It is important to realize that the NWPmodel is key to
the process; the information in the model state from
earlier observations is muchmore important than that
in any single batch.

Statistical Estimation Theory

Statistically optimal methods of combining the new
observations with the model forecast depend on
knowledge of the error probability distribution func-
tion of each. The optimal method is simplest when the
error distributions are Gaussian, with mean zero. In
reality, most observations can suffer from occasional
gross errors, due to instrument or communications
failures, and some types of observation can suffer from
systematic biases. Usually some quality control and
bias correction are done prior to themain assimilation
step, in which case the remaining observations may be
assumed to have the desired Gaussian distribution.
Less theoretically, one can see that a quality control
procedure is essential to avoid using the corrupted
observations, and that proper calibration of observa-
tions will improve their utility. A Gaussian distribu-
tion can be completely described by a covariance
matrix. Most sources of observational errors are
independent, making covariances between them
zero; that is, for most observations the error covari-
ance matrix is diagonal.

The errors in the background state are harder to
characterize, since during the forecast process errors
spread and grow dynamically, leading to significant
covariances in space and time, and between variables.

Table 1 Observations used in global data assimilation in October 2000a

Observation group Subgroup Items used Daily Percentage

used

Ground-based vertical profiles TEMP T ;V , RH processed to model layer average 1 200 97

PILOT As TEMP but V only 900 99

PROFILER As TEMP but V only (used from Feb. 2001) 300 0 (65)

Satellite-based vertical profiles TOVS Radiances directly assimilated with channel

selection dependent on surface, instrument,

and cloudiness

54000 11

ATOVS 700000 4

Aircraft (manual and automated) AIREPS T ;V as reported with duplicate

checking and blacklist

14 000 21

ACARS AMDAR

ASDAR

67000 60

Satellite atmospheric motion vectors GOES 8,10 High resolution ‘‘BUFR’’ IR winds 55000 24

Meteosat 5,7 IR, VIS, and WV winds 9 200 98

GMS 5 IR, VIS, and WV winds 5 200 93

Satellite-based surface ERS-2 Wind vector retrievals (ambiguous

winds from Feb. 2001)

170 000 0

SSMI-13 In-house 1D-VAR wind speed retrieval

(no moisture yet)

1 450 000 1

Ground-based surface Land Synop Pressure only (processed to model surface) 27 000 80

Ship Synop Pressure and wind 6 000 90, 95

Buoy Pressure 9 000 75

aTypical coverage maps are available at http://www.metoffice.com/research/nwp/observations/data_coverage/index.html Only a small

selection of high-density satellite observations are currently used; about 1.6 � 105 data are presented to the variational analysis.

T , temperature; V , vector wind; IR, VIS, WV winds, winds tracked from sequences of infrared, visible and watery vapor imagery.

WEATHER PREDICTION / Data Assimilation 2543



One practical approach, used in so-called statistical
interpolation or optimal interpolation algorithms, is
to model the background error covariances using
structure functions, assuming them stationary, homo-
geneous, and isotropic. Denoting the model back-
ground state by vector xb, the observations by vector
yo, the linear operator for calculating estimates of the
observed values from a model state by H, the obser-
vational error matrix by R, and the background error
covariance matrix by B, the optimal analysis (xa)
and its error covariance (A) are given by eqns [1]
and [2].

xa ¼ xb þ BHTðHBHT þ RÞ�1ðyo �HxbÞ ½1�

A ¼ B� BHT HBHT þ R
� ��1

HB ½2�
In principle, under the assumption that errors are
small enough to be propagated by the linearization of
the NWP model, it would be possible to calculate the
background error covariances explicitly from the
analysis error covariances of the previous cycle. This
is the approach followed in the Kalman filter assim-
ilation method, which for known Gaussian errors and
a linear system is the theoretically optimal sequential
assimilation method. However, because of the size of
NWPmodels, it is not feasible in practice even to store
the full matrices A and B, let alone to propagate them
in time.

Although the basic methods for combining imper-
fect observations have been understood since Gauss in
the early nineteenth century, we are not able to apply
even these in a truly optimal way since they require
error covariances thatwe cannot knowaccurately, and
that we could not manipulate on available computers
if we did know them. Added complications are the
gross errors in observations, which make their error
distributions non-Gaussian, and the nonlinear, chaotic
nature of the forecasting equations, which makes
background errors non-Gaussian. Theory for han-
dling non-Gaussian probability distribution functions
exists, but its application to this size of problem is even
less feasible. Practical data assimilation methods for
NWP have to use approximate methods, applying the
available computer power to those parts where our
knowledge justifies it.

Variational Assimilation

Rather than interpolating from observations to a grid,
assimilation is best thought of as an inverse method,
fitting the model state to scattered data. In variational
assimilation, observation operator algorithms are
applied to a model state to predict the observations.
Any observations can be used, as long as the observa-

tion operator to predict their values is a well-behaved,
linearizable function of the model values. For instance
it is straightforward to use satellite observed radiances
for frequency channels emitted or absorbed by the
atmosphere: the observation operator is a radiative
transfer calculation of the upward radiances. We
represent the observation operator by function H.
These predictions are compared with the actual
values, and a penalty measuring the misfit is
calculated. This is added to a measure of the misfit
from the background, to give a total penalty function
(eqn [3]).

J ¼ 1
2 H xð Þ � yoð ÞTR�1 H xð Þ � yoð Þ
þ 1

2ðx� xbÞTB�1ðx� xbÞ ½3�
The model state (x) is varied until the minimum of the
penalty function is found. Since the terms in the
penalty function are weighted using the appro-
priate error covariance estimates, the variational
approach is equivalent to the statistical estimation
discussed above (for linear H). However, it can be
extended to use nonlinear observation operators,
using satellite radiance observations, for instance,
and to perform implicit quality control, by allowing
for nonnormal distributions of observational errors.
To find the minimum in a reasonable number
of iterations, a descent algorithm is used requiring
the vector of partial derivatives of J with respect
to the elements of x as in eqn [4], where HT is the
transpose of the linearization of H, often called the
adjoint.

qJ
qx

� �T

¼ HTR�1 H xð Þ � yoð Þ þ B�1ðx� xbÞ ½4�

In practice, further steps are needed to make the
minimization problem tractable. The background
error covariance cannot be explicitly represented as a
matrix: it would be too large, and inverting it is even
more impracticable. One approach is to express the
penalty function in terms of a transformed model
state, for which the background term is simpler. The
gradient calculation then also requires the adjoint of
this transformation, as well as that of the observation
operators.

If the observations in a batch are treated as
simultaneous, the resulting algorithm is called 3D-
Var. The observation operator procedure of calculat-
ing model estimates of the observations can be
generalized to include a forecast model integration.
(If we redefine H to include both the forecast and the
observation operator, then the equations above are
unaltered.) The adjoint of the forecast model is then
needed for the gradient calculation. Each iteration of
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the minimization’s descent algorithm requires a for-
ward integration of the forecast model over a period
spanning the observations, and a backward integra-
tion of the adjoint model. Since several tens of
iterations are generally needed, this 4D-Var algorithm
is computationally expensive. 4D–Var is capable of
properly assimilating observations distributed in time;
for instance, it can use observed tendency information
in a dynamically consistent way (Figure 1). Under
certain simplifying assumptions, 4D-Var gives the
same analysis as a Kalman filter.

Quantifying Uncertainty: Ensembles

A drawback of 4D-Var is that it does not readily
provide estimates of the analysis error covariances (A);
evaluation using eqn [2] is impracticable. These are
required for an algorithm such as the Kalman filter to
calculate background error covariances for the next
cycle. Without these dynamically varying covariances
it is not possible optimally to link the cycles processing
batches of observations.

More directly relevant to users of NWP is the desire
for an estimate of possible errors in forecasts. The
value of forecasts to decision-makers is greatly en-
hanced if the inherent uncertainty can be quantified.
This is particularly true of severe weather, which
can cause such damage to property and loss of life
that precautions may be well advised even if the
event is unlikely but possible. Probabilities are a
natural way of expressing uncertainty. A range of
possible outcomes can be described with associated
probabilities, and users can then make informed

decisions allowing for their particular costs and
risks.

It is impracticable to represent the covariances
explicitly as matrices as in the Kalman filter; they are
too large to store and manipulate. An alternative
approach is to represent the error probability distri-
butions by an ensemble of model states. Because the
atmosphere is chaotic, a few patterns of error grow
rapidly, but most do not grow. So it is plausible that a
reasonable sample of model states could represent the
important components of error covariance matrices,
despite having many fewer degrees of freedom.
Research is under way into the ‘Ensemble Kalman
filter’ using this approach. Several hundred slightly
different analyses are made, and the covariances of
forecasts from them are used to approximate any
required background error covariances, instead of
manipulating and forecasting huge error covariance
matrices. The ensemble approach is already well
established to forecast uncertainty in medium-range
forecasting, but is not yet proven in practice for data
assimilation.

Mesoscale Assimilation

Forecasts extending from 0 out to about 6 h are based
upon amore observations–intensive approach and are
referred to as ‘nowcasts’. Traditionally, nowcasting
has focused on the analysis and extrapolation of
observed meteorological fields, with a special empha-
sis on mesoscale fields of clouds and precipitation
derived from satellite and radar. For better handling of
developing weather systems, there is increasing em-
phasis on using NWP for these scales. There are
important practical constraints on such a system: it has
to assimilate frequent high-resolution data into a high-
resolution model, and it has to deliver short-period
forecasts promptly, before their utility has expired. To
achieve this, usually rather simpler assimilation meth-
ods have been employed. One method is to nudge in
the observations over a period of time into the forecast
model; for instance, if the observations show rainfall,
then themodel’s temperature variables can be affected
by the corresponding latent heating. Correctly tuned,
such methods can induce the model state to approach
that of the atmosphere.

As computer power increases, it is becoming pos-
sible to consider variational methods for assimilating
such data. Complicated observation operators, and
their adjoints, are needed for predicting precipitation.
The variationalmethod tries find amodel state that fits
the observations to within their estimated error. This
potentially can make much better use of cloud and
precipitation data.

Observation batch

Corrected
forecast

Previous

forecast

Time

x

xb

y°

y°

y°

y°

Figure 1 Schematic diagramof 4D-Var. The observed values yo

are forecast from themodel state x – this process is represented by

the dotted lines, and by H in eqn [3]. The adjoint of this forecast is

used in eqn [4] to determine how to vary x, iterating until the best fit

that minimizes J is found.
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Introduction

The atmosphere is a complex dynamical system with
many degrees of freedom. In numerical weather
prediction, the state of the atmosphere is described
by the spatial distribution of wind, temperature,
specific humidity, liquid water content, and surface
pressure. The mathematical differential equations
used to predict the system’s time evolution include
Newton’s laws of motion and the laws of thermody-
namics. Numerical weather prediction models predict
the time evolution of the atmospheric state by solving
the system equations numerically.

A deterministic forecast is a single integration of the
system equations. The practical usefulness of a single
deterministicweather forecast is limited by the day-to-
day variability in its accuracy. This variability is partly
associatedwith fluctuations in the predictability of the
atmospheric flow, with predictable states (i.e., flows
characterized by a slow amplification of initial errors)
alternating with unpredictable states (i.e., flows char-
acterized by a fast amplification of initial errors).

Ensemble systems are practical tools designed to
assess the predictability of the daily atmospheric flow.
More generally, they can be used to predict the time
evolution of the probability density function (PDF) of
forecast states. They can be used, for example, to
predict the probability of intense rainfall or cold
temperatures over the Euro-Atlantic region (Figure 1).

Ensemble systems should be designed to simulate
the effect of all sources of forecast errors. In particular,
they should simulate the effect of uncertainties in the
knowledge of the initial state of the system and the
effects of the approximations made in numerical
weather prediction models.

Ensemble systems have been operational since 1992
at the European Centre for Medium-Range Weather
Forecasts (ECMWF) in the United Kingdomand at the
National Centers for Environmental Prediction
(NCEP) in the United States, and since 1995 at the
Meteorological Center of Canada (MSC). These three
ensemble systems have been designed to estimate the
forecast PDF in the short- and medium-forecast
range, i.e., for up to 14 days. Beside this operational
activity, many international centers, universities,
and national and regional meteorological centers
have been involved in research and experimental
activities in this field. It should also be mentioned
that experimental ensemble systems are currently
under development and are tested for seasonal time
scales.

Despite that fact that most of the examples and of
the discussions reported here are based on results
obtained during the past years by the operational
medium-range ensemble systems, most of the
discussions can be applied to seasonal ensemble
systems.

Numerical Weather Prediction

In numerical models, the state of the atmosphere is
described for a finite number of vertical levels and at a
series of grid points by a set of state variables such as
temperature T, velocity v, specific humidity and cloud
liquid content q, and surface pressure p. In other
words, the state vector y of the system is defined by
ðT; v; q; pÞ for all vertical levels and all grid points. The
phase space of the system is the N-dimensional space
defined by the ðT; v; q; pÞ coordinates.

The system attractor is defined by the set of past,
present, and future atmospheric states yðtÞ. For each
time t, a unique point on the system attractor identifies
the state of the atmosphere. The time evolution of
atmospheric states during subsequent times t0otot1
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between the initial time t0 and the final time t1, is
represented by the set of points that described the
system orbit between t0 and t1 (Figure 2).

The mathematical differential equations describing
the atmospheric motions include Newton’s laws of
motion in the form ‘acceleration equals force divided
bymass’, the laws of conservation of mass and energy,
and the laws of thermodynamics. These equations,
written in terms of the state variables y, can be
approximated with a set of algebraic difference
equations for the tendencies (i.e., for the variations
in time) of the state variables.

These equations include parameterization schemes
that simulate the effects of physical processes such as

radiative transfer, turbulent mixing, orographic
forcing, and moist processes. The parameterization
of these physical processes is probably one of the
most difficult and uncertain areas of weather
modeling.

Schematically, the equations of motion defined in
terms of the state variables y ¼ ðT; v; q; pÞ can be
written as eqn [1],whereA andP identify, respectively,
the contribution to the full equation tendency of
the nonparameterized and parameterized physical
processes.

qy
qt

¼ Aðy; tÞ þ Pðy; tÞ ½1�

Figure1 (A) 5-day forecast probability of cold 850 hPa temperatures (850hPa temperature anomalywith respect to climatology smaller

than81). (B) 5-day forecast probability ofmore than5mmday� 1 of precipitation. (C) 5-day 850 hPa temperature forecast given by a single

deterministic forecast. (D) Observed temperature field at 850hPa. Contour isolines for 20%, 40%, and 80%probabilities, with shading for

values greater than 20%. Contour interval is 41 for temperatures (dashed blue for negative and solid red for positive values).
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The time integration of eqn [1] from the initial time t0
to the forecast time t (eqn [2]) describes the time
evolution of the atmospheric flow from the initial state
yðt0Þ to the final state.

yðtÞ ¼ yðt0Þ þ
Z t

t0

½Aðy; tÞ þ Pðy; tÞ�dt ½2�

The initial state of the system, yðt0Þ, is defined by
observed weather variables. Denote by oðtÞ the vector
of all meteorological observations made in a time
interval 2D centered at time t0; t0 � Dotot0 þ D. The
initial state of the system yðt0Þ is defined in such a way
that, for all times t with t0 � Dotot0 þ D; yðtÞ is
closest to oðtÞ. Practically, yðt0Þ is computed by
minimizing a cost function Jðyðt0ÞÞ (eqn [3]).

Jðyðt0ÞÞ ¼ dBðyðt0Þ; yBðt0ÞÞ

þ
Z t0þD

t0�D
dOðyðtÞ; oðtÞÞ dt ½3�

The cost function is the sum of the distance dBð–; –Þ of
yðt0Þ from the background field yBðt0Þ and the time-
integrated distance dOð–; –Þ of yðtÞ and the observa-
tion vector oðtÞ. (Note that the two distances are
different, since one is defined using the covariance
matrix of background errors and the other the
covariance matrix of observation errors.) The mini-
mum of the cost function can be considered as the best
estimate of the true state of the atmosphere. This
computational process is referred to as data assimila-
tion. Note that the accuracy of a data assimilation
procedure depends on the accuracy of approximations

of the atmospheric model used to compute yðtÞ
starting from t0 � D as in eqn [4].

yðtÞ ¼ yðt0 � DÞ þ
Z t

t0�D
½Aðy; tÞ þ Pðy; tÞ� dt ½4�

Moreover, in order to compare the two vectors y ando,
the atmospheric model is used to transform observed
variables into atmospheric state vector variables (i.e.,
to go from the observations’ phase-space to the model
variables’ phase-space).

Some of the observations, such as those from
weather balloons or radiosondes, are taken at specific
times at fixed locations. Others, such as those from
airplanes, ships, or satellites, are not fixed in space.
Generally speaking, there is a great variability in the
density of the observation network, with data over
oceanic regions, in particular, characterized by very
coarse resolution. Observations cannot be used di-
rectly to start model integrations, but they must be
modified in a dynamically consistent way to obtain a
suitable data set.

Sources of Forecast Errors

The facts that at any time t0 only a limited number of
observations (limited with respect to the degrees
of freedom of the system) are available and that part
of the globe is characterized by a poor coverage
introduce uncertainties in the initial conditions. Ob-
servational errors, usually in the smallest scales,
amplify and through nonlinear interactions spread to
the large scales, and eventually affect the skill of the
latter. The presence of uncertainties in the initial
conditions is one of the sources of forecast errors.

A second source of forecast error is related to the
intrinsic approximations made in the numerical mod-
els of the atmospheric system. A requirement for
skillful predictions is that numericalmodels are able to
accurately simulate at least the effects of the dominant
atmospheric phenomena. The facts that the descrip-
tion of some physical processes is only approximate
and that numerical models simulate only processes
with certain spatial and temporal scales induce fore-
cast errors. (Availability of computer resources is one
of the main factors that limits the complexity and the
resolution of numerical models and data assimilation
procedures, since, to be useful, numerical predictions
must be produced in a reasonable amount of time.)

These two sources of forecast errors cause weather
forecasts to deteriorate with forecast time. A third
source of forecast error that is less important in the
short and medium forecast range (say up to 10 days)
but that can be very important for longer forecast

y (t0)

y (t1)

Ω

Figure 2 Schematic of a two-dimensional section of the phase

spaceO of the atmospheric system. The system attractor is the set

of past, present, and future atmospheric states yðtÞ. The time

evolution of the system between the initial time t0 and time t1 is

represented by the dotted line connecting the points yðt0Þ and yðt1Þ
(the orbit of the system between t0 and t1).
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ranges is related to the system boundary conditions
(e.g., soil moisture content, ice coverage, vegetation).

It is worth pointing out that the system’s initial
conditions will always be known only approximately,
since each piece of data is characterized by an error
that depends on the instrumental accuracy. In other
words, small uncertainties related to the characteris-
tics of the atmospheric observing system will always
characterize the initial conditions. The growth of
small initial errors into large forecast errors is due to
the chaotic behavior of the atmosphere, which implies
that two initial states differing only slightly will depart
from one another very rapidly as time progresses.

Chaotic Behavior of the Atmosphere

A dynamical system shows ‘chaotic’ behavior if orbits
exhibit sensitive dependence to initial conditions. An
orbit is characterized by sensitive dependence if most
other orbits that pass close to it at some point do not
remain close to it as time advances. The atmosphere
exhibits this behavior.

Figure 3A shows a very intense storm that crossed
France and Germany during 26 December 1999, and
the other three panels of the figure show three 2-day
forecasts started from very similar initial condi-
tions at 1200 UTC (coordinated universal time) on

Figure 3 (A) Mean sea-level pressure field at 1200 UTC on 26 December 1999 and (B–D) 2-day mean sea-level pressure forecasts

startedat 1200UTCon24December1999givenby threemembersof theECMWFensembleprediction system.Contour interval is 3 hPa,

with shading for values lower than 984hPa.
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24 December 1999. The differences among the three
initial conditions were comparable to estimated anal-
ysis errors. After only 2 days of numerical integration,
the three forecasts evolved into very different atmos-
pheric situations. In particular, note the different
positions of the cyclone forecast over western Germa-
ny. The first forecast (Figure 3B) wrongly posi-
tioned the cyclone over Ireland; the second forecast
(Figure 3C) correctly positioned the cyclone over
Germany; and the third forecast (Figure 3D) moved
the cyclone too quickly over the Baltic Sea. This is an
example of orbits initially close together that rapidly
diverge during the time evolution.

Another example of sensitivity to the initial state is
shown in Figure 4. The figure shows the forecasts for
air temperature in London given by 33 different
forecasts started from very similar initial conditions
for two different dates, 26 June 1995 and 26 June
1994. There are clearly different degrees of divergence
among the 33 forecasts during the two cases. All
forecasts stay close together up to forecast day 10 for
the first case (Figure 4A), while they all diverge already
at forecast day 3 in the second case (Figure 4B). The
level of spread among the different forecasts can be
used as a measure of the predictability of the two
atmospheric states.

Figure 4 Forecasts given by the ECMWF operational ensemble prediction system (33 members at the time of running) for air

temperature in London started from (A) 26 June 1995 and (B) 26 June 1994. (Courtesy of Thomas Petroliagis, 1995, personal

communication.)
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The Ensemble Approach to Numerical
Weather Prediction

A complete description of the weather prediction
problem can be stated in terms of the time evolution of
an appropriate PDF in the atmosphere’s phase space
(Figure 5). The predicted PDF of possible future
atmospheric states is a function greater than zero in the
phase space regions where the atmospheric state can
be, with maximum values identifying the most prob-
able future states.

The problem of the prediction of the PDF can be
formulated exactly through the continuity equation
for probability (the Liouville equation). Unfortunate-
ly,with the current availability of computer power, the
Liouville equation that describes the PDF time evolu-
tion can only be solved for simple systems character-
ized by a limited number of degrees of freedom.
Furthermore, the initial PDF is not well known.
Ensemble prediction based on a finite number of
deterministic integrations is a feasible method for
predicting the PDF beyond the range of linear error
growth. One of the byproducts of ensemble prediction
is the possibility of estimating the forecast skill of a
deterministic forecast – in other words, to forecast the
forecast skill.

Ensemble prediction systems should be designed to
simulate all sources of forecast errors, in particular
errors due to initial and model uncertainties. The
relative importance of these two sources of forecast
errors depends on the characteristics (e.g., spatial and
temporal scales) of the phenomena under investiga-
tion. For large-scale atmospheric patterns, research
studies performed with state-of-the-art numerical
models have indicated that for short and medium
time ranges (say, forecasts for up to 3–5 days) errors
are mainly due to initial uncertainties. Model errors
due to the parameterized physical processes start to
have a nonnegligible effect after forecast day 3. By
contrast, for the prediction of small-scale low-pressure
systems and associated precipitation fields, for exam-
ple, model errors can be as important as initial
uncertainties at forecast day 2 or even earlier. For
forecast times longer than 10 days (monthly and
seasonal prediction), other error sources should be
simulated. Examples that shouldbe taken into account
include the possible influence of uncertainties in the
boundary conditions (e.g., in the soil moisture content
or in the ice and vegetation coverage).

At the time of writing (September 2002), global
medium-range (i.e. forecasts for up to 15 days)
ensemble systems are part of the routine operational
suites at the Meteorological Center of Canada (MSC,
Dorval, Canada, http://www.msc-smc.ec.gc.ca), at the
European Centre for Medium Range Weather Fore-
casts (ECMWF,Reading, UK, http://www.ecmwf.int),
and at the National Centers for Environmental
Prediction (NCEP, Washington DC, USA, http://
www.emc.ncep.noaa.gov). At these three centers glo-
bal ensemble systems are run daily, and probabilistic
forecasts are generated and delivered to their users.
Beside this operational activity, many universities and
other national and regional meteorological centers
have been involved in research and experimental
activities in this field.

The three ensemble systems operational at MSC,
ECMWF, andNCEPare all based on afinite number of
numerical integrations starting from perturbed initial
conditions, but they differ in the way the perturbed
initial conditions are constructed. The ensemble sys-
tems operational at MSC and ECMWF include differ-
ent schemes to simulate model errors, while the NCEP
system does not simulate them. Furthermore, they are
different in their ensemble size, resolution, and fore-
cast length of the numerical integration (Table 1). (It
should be stressed that availability of computer power
is the main factor affecting configuration parameters
such as ensemble size and resolution.)

Despite their differences, schematically each mem-
ber ej (with j ¼ 1; . . . ; Nens) of any of these operational
ensembles is defined by the time integration (eqn [5])

Forecast time 

PDF(0)

PDF(t )

Figure 5 Schematic of ensemble prediction. The initial PDF(0)

represents the initial uncertainties. From the best estimate of the

initial state, a single deterministic forecast (bold solid curve) is

performed.This single deterministic forecast fails to predict correctly

the future state (dash curve). An ensemble of perturbed forecasts

(thin solid curves) starting from perturbed initial conditions designed

to sample the initial uncertainties can be used to estimate the

probability of future states PDFðtÞ. In this case, two perturbed

forecasts almost correctly predict the future state, and the ensemble

system gives a nonzero probability of the future state to reach the

observed value.
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of the perturbed model equations (eqn [6]), starting
from perturbed initial conditions ejðt0Þ.

ejðtÞ ¼ ejðt0Þ þ
Z t

t0

½Aðej; tÞ þ Pjðej; tÞ� dt ½5�

qej
qt

¼ Aðej; tÞ þ Pjðej; tÞ ½6�

Note that in eqn [6] the term that identifies the
contribution to the full equation tendency of the
parameterized physical processes, Pjðy; tÞ, is different
for each ensemble member. This represents the fact
that model errors due to parameterized physical
processes are simulated in the ensemble system.

Simulation of Initial Uncertainties

The perturbed initial conditions ejðt0Þ are generated to
represent the initial uncertainties. This can be accom-
plished by following different approaches with the
constraint that the number of initial perturbations is
limited to a few tens. In probabilistic terms, this is
equivalent to saying that the initial-time PDF can be
sampled only a small number of times.

At ECMWF, the perturbed initial conditions are
defined by adding to the best estimate of the initial
state e0ðt0Þ (computed by minimizing Jð–; –Þ, see
eqn. [2]), an ensemble of initial perturbations dejðt0Þ
(eqn [7]).

ejðt0Þ ¼ e0ðt0Þ þ dejðt0Þ ½7�
The initial perturbations dejðt0Þ have been designed to
sample the components of the initial uncertainties
with maximum growth during the forecast time (i.e.,
for times t > t0) and during the data assimilation time,
(i.e., for times tot0). This choice is based on the
hypothesis that the components of the initial uncer-
tainties with the fastest growth during the system time
evolution and during the data-assimilation time
period have the dominant effect on the forecast
accuracy. Practically, these ‘growing directions’,

called singular vectors, are computed by applying
complex techniques based on iterative integrations of
forward and adjoint tangent versions of the nonlinear
model.

At NCEP, as at ECMWF, initial perturbations are
added to the best estimate of the initial state e0ðt0Þ. But
compared to ECMWF, the NCEP initial perturbations
are designed to sample only the components of the
initial uncertainties that grow during the data-assim-
ilation time interval, i.e., for times tot0. As a
consequence, the two sets of initial perturbations can
differ substantially. For example, ECMWF initial
perturbations are characterized by smaller scales and
by faster growth during the first two days of forecast
integration than are the NCEP perturbations.

At MSC, a different approach is followed. First,
given the set of observations oðtÞ, an ensemble
of perturbed observations ojðtÞ is generated,
ojðtÞ ¼ oðtÞ þ doj. Then, the ensemble of Nens initial
perturbations is generated by performing Nens data
assimilation cycles (i.e., by minimizing eqn [3] j times,
each time using a different set of perturbed observa-
tions ojðtÞ), so that each perturbed initial state ejðt0Þ is
the best estimate of the atmospheric state given by the
set of perturbed observations ojðtÞ. It should be
mentioned that, since the MSC ensemble also simu-
lates model errors, each data assimilation procedure is
performed using a different model version (see next
section).

The differences between the three methods seem
subtle, but they have a significant impact on the
characteristics of the ensemble systems (e.g., on the
ensemble dispersion). The debate on what is the best
approach is still open.

Simulation of Model Errors

As is the case for the simulation of initial uncertainties,
there is not yet agreement within the scientific com-
munity about the best way to simulate model errors.

Table1 Configurationof theglobal ensemblesystemsoperational atMSC,ECMWFandNCEP(at the timeofwriting,September2002):

ensemble size, spectra truncation (TL149 indicates spectral triangular truncation at wavenumber 149 with linear grid), equivalent grid

spacing in km, number of vertical levels (note that MSC runs with a different number of vertical levels in each perturbed forecasts),

pressure at the top of the model (hPa), forecast length (days), inclusions of the simulation of observation errors, initial uncertainties and

model uncertainties (Yes or No)

Ensemble Size Resolution

(spectral)

Grid (km) Levels Top (hPa) Forecast

length

OBS IC MOD

MSC 16 TL149 135 23-28-41 10 10d Y Y Y

ECMWF 51 TL255 80 40 10 10d N Y Y

NCEP 24 T126 (do3.5)– 120 (do3.5)– 28 2.7 15d N Y N

T62 (3.5od) 250 (3.5od)
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AtMSC, different – and on average equally skillful –
parameterization schemes are used when numerically
integrating each perturbed member. The rationale of
this approach is that, despite the fact that these
different schemes perform equally on average, they
can perform significantly differently on single occa-
sions. Schematically, the MSC approach can be
described as follows. Suppose that the following
different parameterization schemes are given: three
schemes that simulate moist processes (C1, C2, and
C3), three schemes that simulate turbulent diffusion
processes (D1, D2, andD3) and two radiation schemes
(R1 and R2). Using a different combination of the
schemes, an ensemble system with 18 perturbed
members, each integrated with a different model,
can be designed. Schematically, each member of the
MSC ensemble is defined by eqn [5] with eqn [8].

Pj ¼ Ck;j þDk;j þ Rk;j ½8�
The full tendency due to the parameterized physical
processes is computed by adding the tendencies
computed by different combinations of the schemes
simulating moist processes, turbulent diffusion, and
radiation (Ck;j means that the jth ensemble member is
integrated using the Ck).

At ECMWF, the random component of model
errors due to parameterized physical processes is
simulated by stochastically perturbing the tendency
due to the physical processes. Schematically, each
member of the ECMWF ensemble is defined by eqn [5]
with eqn [9], where P is the unperturbed tendency due
to all the parameterized physical processes, and rj is a
vector of random numbers.

Pjðej; tÞ ¼ ½1þ rj�Pðej; tÞ ½9�
At the time of writing, in the ECMWF operational
ensemble system the randomnumbers rj are uniformly
sampled in the interval �0:5orjo0:5.

Operational Applications of Ensemble
Prediction

Ensemble prediction products are becoming increas-
ingly popular. Figures 6 and 7 show two examples of
weather products designed, respectively, for a fore-
caster interested only in a single location and for a
forecaster interested in a large area. Figure 6 shows the
10-day ensemble prediction of temperature, geopo-
tential height, precipitation, and cloud cover for
London given by the ECMWF ensemble prediction
system started on 28 March 2000. This shows, for
example, that wind speed will decrease during the first
three forecast days, that temperature will rise slightly,
and that there could be intense precipitation (up to

20mm/12 h) on 2 April. The fact that the size of the
box-and-whiskers increases during the forecast time,
especially after 1 April, indicates that the ensemble
spread increases, suggesting future less predictable
situations.

The second product has been designed for a
forecaster interested in assessing the accuracy of an
84 h prediction ofmean sea-level pressure (MSLP) and
precipitation over north-eastern Spain. Figure 7A
shows the observed MSLP (more precisely the
ECMWF analysis) and the 24 h precipitation forecast
given by the ECMWF high-resolution model, which
can be considered as a good approximation of the
large-scale features of the actual precipitation field.
This panel shows that more than 40mm of rain
affected a large area across the Spanish–French border.
Figure 7B shows the 84 h forecast given by the
ECMWF unperturbed (control) forecast. Figure 7C
shows the 84 h MSLP forecast given by the ECMWF
ensemble-mean and the ensemble standard deviation
(shading). Figure 7D shows the 84 h probability
forecast of more than 20mmday� 1 of precipitation
given by the ECMWF ensemble system. Figures 7C
andD can be used to assess the possible accuracy of the
forecast given by the control forecast (D). Figure 7C
shows that the ensemble-mean forecast predicts an
atmospheric flow (at the surface) similar to that
predicted by the control forecast, and that the ensem-
ble standard deviation, which is a measure of the
agreement/disagreement among the ensemble mem-
bers, is not particularly large in the area of interest (i.e.,
across the Spanish–French border). This can be used as
an indication that the ensemble spread in the area of
interest is rather small and thus that the situation
should be predictable. Figure 7D shows that there is a
probability of more than 40% that intense precipita-
tion will affect the area of interest, again confirming
that there is good agreement among the ensemble
members in predicting this phenomenon.

These two figures constitute simple examples of
how ensemble prediction can be used to complement
single deterministic forecasts with probabilistic infor-
mation to try to assess the forecast accuracy. It isworth
mentioning that ensemble products have started to be
used experimentally in business applications such as
ship routing and energy-demand predictions.

Validation of Ensemble Systems

The primary purpose of ensemble systems is to
estimate the PDF of forecast states. As a consequence,
the quantitative evaluation of ensemble systems
should be based on the comparison of the forecast
PDF with the observed PDF. In particular, verification
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measures should be designed to assess the statistical
consistency and usefulness of the predicted PDF. These
two properties should be assessed by considering the
first-order moment of the predicted PDF (the ensem-
ble-mean) and the second-order moment (ensemble
standard deviation). Verifications should be per-
formed both at grid-point level (i.e., for single
locations) and considering large-scale atmospheric
patterns (i.e., regimes characterized by a blocked or a
zonal flow over the Euro-Atlantic sector). The skill of

an ensemble system should be compared with the skill
of some reference systems (benchmarks) such as
climatology or simpler PDF-prediction systems.

Numerical weather forecasts are often used by
decision-makers to decidewhether to take an action to
protect against a possible loss. Typically, the decision
maker would spend an amount C if an event is
predicted to protect himself against a loss L (with
L > C). The economic value of a forecasting system
can be assessed using skill measured by coupling

Figure 6 Meteogram for London showing the ECMWF ensemble prediction forecasts for cloud cover, total precipitation, 10-m wind-

speed, and 2-m temperature for London/Heathrow. The forecast started at 1200 UTC on 28 March 2000. Box-and-whiskers show the

minimum and maximum values, the 25% and the 75% quartiles, and the median of the forecasts given by the 51-member ECMWF

ensemble system.
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contingency tables and cost–loss decisions. The eco-
nomic value of a forecast can be defined as a function
of the false alarm rate and the probability of detection
of the system. Since this measure is defined for both
categorical and probabilistic forecast, it can be used to
compare the economic value of a single forecast and of
an ensemble forecasting system.

Figure 8 shows, for December 1999 over Europe,
the average economic value of the t þ 120 h prediction
the event, ‘24 h accumulated precipitation greater
than 10mmday� 1’, for three different forecasts,

specifically the single deterministic forecasts given by
theECMWFunperturbed (control) forecast andby the
ensemble-mean, and the probabilistic prediction gen-
erated using thewhole ensemble system (the economic
value varies from 0, for a forecast as skillful as
climatology, to 1 for a perfect forecast).

Figure 8 shows that the economic value for the
ensemble probabilistic prediction is definitely greater
than the economic value of the two probabilistic
predictions, especially for small cost/loss ratios. Con-
sidering the deterministic predictions, Figure 8 shows

Figure 7 (A) Mean sea-level pressure (MSLP) field observed (i.e., analysis) at 0000 UTC on 10 June 2000 and verification for the 24h

accumulated precipitation (24HTP) between 1200 UTC of 9 and 10 June (this verification field, defined as the 24h forecast from the

ECMWF high-resolution model started on 9 June, can be considered a good approximation of the large-scale features of the observed

precipitation field). (B) ECMWF ensemble unperturbed (i.e., control) forecast started on 6 June (t þ 84h for MSLP and 24HTP predicted

between t þ 72h and t þ 96h). (C) ECMWF ensemble-mean and standard deviation t þ 84h forecasts for MSLP. (D) Corresponding

ECMWF ensemble probability of more than 20mmday�1 of precipitation. Contour interval is 2.5 hPa for MSLP and 1 hPa for MSLP

standard deviation.Shading for the24HTP in (A) and (B) is for 2, 10, 20, and40mmday� 1 andshading for probability in (C) is for 5%,10%,

20%, and 40%.
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that (for the period and the event considered) the
ensemble-mean and the control forecast have about
the same economic value for the 5mmday� 1 thresh-
old, while for the 10mmday�1 threshold the control
forecast performs better for small cost/loss ratios but
worse for large values.

This result indicates that for December 1999 a
decision maker interested in predicting a binary
event ‘rainfall greater than 5 or 10mmday� 1’ over
Europe would have had a higher return if by taking
decisions (protect/not protect) according to the en-
semble forecast than from any single deterministic
forecast.

Conclusions

The operational implementation of ensemble predic-
tion systems has changed the approach to numerical
weather prediction from deterministic (i.e., based on a
single forecast) to probabilistic. Ensemble systems
provide a possible way to estimate the probability
distribution function of forecast states. They have
beendeveloped following the notion that uncertainties
in the initial conditions and in the model formulation
are the main sources of forecast errors.

Ensemble prediction systems are particularly useful,
if not necessary, for providing early warnings of the
risk of extremeweather events. For example, ensemble
systems can be used to predict probabilities of intense
precipitation events. The economic value of ensemble
prediction is higher than the economic value of single
deterministic forecasts. Global ensemble systems can
be used to provide boundary and initial conditions for

higher-resolution, limited-area ensemble prediction
systems.

Research activity is in progress in many different
areas to further improve the accuracy of the opera-
tional ensemble prediction system, and is in hand to
improve the representation of initial andmodel errors,
and possibly to use ensemble approaches to data
assimilation.Multimodel,multianalysis ensemble sys-
tems based on a set of integrations performed with
different models and starting from analyses construct-
ed using different data assimilation schemes are under
investigation. Work is also under way to further
develop ensemble products that can be used more
easily in businesses heavily affected by weather (e.g.,
the shipping industry, the energy sector, safety and
protection agencies).

Nomenclature

Aðy; tÞ Tendency due to adiabatic processes
Ck

ðk ¼ 1; . . . ; 3Þ
Tendency due to kth scheme that
simulates moist processes

Dk

ðk ¼ 1; . . . ; 3Þ
Tendency due to kth scheme that
simulates turbulent processes

JðyÞ Data assimilation cost function
N Phase-space dimension
Nens Total number of ensemble members
Pðy; tÞ Tendency due to diabatic processes
Pjðy; tÞ Perturbed tendency due to diabatic

processes
Rk

ðk ¼ 1; . . . ; 3Þ
Tendency due to kth scheme that
simulates radiative processes

T Temperature
q Specific humidity and cloud liquid

content
o Vector of observations
dBðy; yBÞ Distance between vectors y and yB

computed using background error
information

dOðy; oÞ Distance between vectors y and o
computed using observation error
information

ej Ensemble member
e0 Unperturbed (control) ensemble

member
p Surface pressure
rj Vector of random numbers
t Time (t0 initial time)
v Velocity.
y Atmospheric state vector
D Time interval
dejðt0Þ Initial perturbation
t Time (dummy variable under inte-

grals)

Figure 8 Comparison of the economic value of the ECMWF

t þ 120h forecasts given by the unperturbed (control) forecast

(blue line), the ECMWF ensemble-mean (green line), and the

ECMWF ensemble probability (red line), average for December

1999 over Europe, for the event ‘24 h total precipitation larger than

10mmday� 1’.
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Introduction

Regional numerical weather prediction (NWP) mod-
els provide detailedweather forecasts for limited areas
of the Earth’s surface. Nowadays, they are usually
provided with boundary conditions from a global
NWP model. Results are used as the basis for short-
range weather forecasts, and are of particular impor-
tance in forecasting precipitation. The model used by
theMetOffice in theUKhas a gridwith 38 levels in the
vertical, a horizontal spacing of about 12.5 km, and a
time step of 5min. It generates forecasts of wind,
temperature, cloud, precipitation, and visibility.

NWP models are at the heart of the modern
production of weather forecasts. They use the math-
ematical equations governing motion of a fluid on the
rotating Earth, supplemented by additional computa-
tions to allow for such effects as the Sun’s radiation,
clouds, and turbulence generated by surface topogra-
phy. The result is a comprehensive description of the
state of the atmosphere at regular intervals in space
and time.

Regional prediction models are numerical weather
prediction models that predict the evolution of the
atmosphere overlying a limited part of the Earth’s
surface. Such models are used so that, with limited
computer power, the atmosphere overlying a preferred
part of the Earth’s surface can be modeled with the
highest practicable resolution. For simplicity, we
exclude variable resolution global NWP models,
which are used by some weather services as an

alternative method of achieving this aim. We also
exclude limited area models designed for simulation
rather than forecasting, since they are typically
designed to focus on the study of particular processes
or meteorological events, and cannot properly be
termed prediction models.

Whereas global NWPmodels have boundaries only
at the bottom and top of the atmosphere, a regional
model must have lateral boundaries at the edges of the
region covered.Conditions at these boundariesmaybe
held fixed, may be prescribed from another model
covering a larger area, or may be interactive (two-way
nesting), passing information both from and to a
model covering a larger area. The study of how to
optimally specify the boundaries of regional models
has been very important in their evolution, and has
also led some scientists to abandon them in favor of
variable-resolution global models, as mentioned
above.

Development

The firstNWPmodels were all regionalmodels, owing
to lack of computer power andof observations to drive
global models. Indeed it was not until the late 1970s
that the first global NWP models were introduced,
although global climatemodels had been run for some
time previously.

Since there were no global models to provide
boundary conditions, early models had to use fixed
boundary conditions. This resulted in a severe limita-
tion on the lead time for which forecasts were useful,
since the effects of these erroneous boundary condi-
tions propagated rapidly into the forecast domain.The
earliest models were balanced models, obtained using
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the quasi-geostrophic approximation. This resulted in
a pronounced simplification and allowed the powerful
theory of quasi-geostrophic flow dynamics to be used
in designing them. The later move to the so-called
primitive equations allowed more accurate represen-
tation of important processes, but considerably com-
plicated the model structure, and especially the
processes required to produce an initial state from
which a realistic prediction could be made. After
several years, many models split the equations so that
the smooth evolution obtained with the balanced
equations could be integrated cheaply using long time
steps, while the fast motions could be integrated less
precisely, but in such a way as to ensure the stability of
the solution. Two techniques have been widely used
for this, the so-called split-explicit and split semi-
implicit methods. It was at this time, also, that
modelers divided into those using atmospheric vari-
ables defined at grid points, and those using a Fourier
decomposition of the distribution of the variable. The
latter, termed the spectral method, has proved very
valuable for global modeling, but few centers have
adopted it for regional models.

An important issue for all limited-area models was
the method of specification of the boundary condi-
tions. There are important mathematical constraints
on this, arising from the atmospheric equations being
solved. Important work in the 1970s demonstrated
that the specification should be different at inflow
boundaries from that at outflow boundaries, but that
the assessment of the type of boundary should take
account not just of themeanwind but also of the speed
of travelling gravity waves. The complexity of such
solutions deterred operational modelers, who gener-
ally specified all available variables, and then control-
led any resulting disturbance using diffusion. In the
end, it was shown that specification of a mathemat-
ically correct set of conditions is not possible for the
primitive equations. Following from this, research
intomore pragmaticmethods resulted in the technique
most widely used today, in which the boundary values
are blended into the regional model across several
rows of the grid, with decreasing weight towards
the interior. This technique suppresses the generation
of unrealistic small-scale gravity waves, while
ensuring that information on the scale of the forcing
model is transferred into the interior of the regional
model.

As computers became more powerful, there was
pressure to extend the boundaries so as to enable
realistic longer forecasts to be run. On the other hand,
there was also a desire to use finer-resolution grids so
as to increase the detail in the area for which the
forecast was beingmade. The solution adopted almost
universally has been to use a coarse grid covering a

large area – ultimately thewhole globe – to forecast for
the longest lead times possible, and to nest inside it a
fine grid regional model covering a domain surround-
ing the required forecast area.

In some cases, two nested models have been used
to enable the finest possible resolution to be used
over the immediate forecast area, without having too
large a change in resolution at the boundaries.
However, it is recognized that each boundary intro-
duces distortions.

With the spread of computer availability, an option
being adopted increasingly is for countries to combine
resources for running a shared global model from
which each obtains boundary conditions for its own
regional model run at whatever resolution the com-
puter power they can afford will allow.

Although much used for experimental simulations,
two-way nested models typically place too great
restrictions on the forecasting process and so are not
used in regional NWP. Apart from centers which use
boundary conditions from another center, which
obviously makes two-way nesting impossible, other
objections include the need to run the models simul-
taneously and the need for themodels to have the same
model formulation. Typically, global models run after
waiting several hours for data from around the world,
whereas regional models can run more quickly using
local data. The specification of a regional model may
well be different for various reasons, including the fact
that different numerical techniques work best over
different domains, as well as to enable the model to
focus on the atmospheric processes most important in
the region of interest.

Recent development has focused on so-called me-
soscale models, which represent processes below the
scale for which the Rossby number is small. While
considerable success has been gained with regional
models running at these scales, the theoretical foun-
dation for their performance is much less well under-
stood than for the coarser-resolution models, and this
has undoubtedly slowed down development of some
aspects, particularly the fitting of the initial state to
available observations.

While global models and most regional models
represent the vertical structure of the atmosphere
using the hydrostatic approximation, which assumes
vertical accelerations are small, a number of centers
are now introducing nonhydrostatic models for re-
gional use. These have benefits in the representation of
highly three-dimensional flow, such as is found in
thunderstorms and in mountainous regions. The
theoretical foundation for these models is significantly
more complex than it is for hydrostatic models, and
there is, as yet, no agreement on the best form of the
equations to be used, some allowing the presence of
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sound waves and others excluding them. As with the
earlier move from quasi-geostrophic to the primitive
equations, the methods of treatment of the faster
motions and slower motions also differ between
models.

Future developments will be focused on moving to
ever finer resolution, especially in the horizontal.
Several research models are being run in quasi-
operational configurations with a grid spacing of just
a few kilometers. Currently the cost of such models
can be justified only for very small areas which are
particularly weather-sensitive, such as for launches at
the space port at Cape Canaveral in the USA and for
some of the recent Olympic Games. As computer
power continues to grow, such models will become
more common. However, there are very severe
problems in the initialization of such models that
have to be overcome if they are to realize their true
capability.

Requirements

Regional models are run to support the provision of
short-rangeweather forecasts for particular areas. The
majority of forecasting agencies are national meteor-
ological services (NMSs) and thus have responsibili-
ties to provide services for a country. The size of the
country affects the resolution with which it can be
modeled, given a particular computer resource.

The requirements placed on these models are
intimately bound up with progress towards using
automated methods in the preparation of weather
forecasts, and therefore match to a large degree the
meteorological requirements of the weather forecasts
themselves. One dominant driver for development of
regional models has been the goal of quantitative
precipitation forecasting (QPF). While the capability
of models to predict precipitation has steadily im-
proved, it still falls short of the requirement to reliably
predict flooding events, for instance, so additional
post-processing is often applied to improve the capa-
bility. This includes additional simplified models to,
for instance, allow for the variation of precipi-
tation induced by complex topography, and the use
of statistical corrections to remove model biases.
Other variables required from regionalmodels include
near-surface temperature and wind, cloud, and
visibility.

Examples

The regionalNWPmodel used by theMetOffice in the
United Kingdom is a mesoscale configuration of its
general-purpose UnifiedModel, which is also used for

global prediction and climate modeling. It is a nonhy-
drostatic, compressible, grid point model, with one-
way boundary conditions provided from the global
version. The domain is defined as a rectangle on a
reprojection of the Earth’s surface obtained by rotat-
ing the poles so that the British Isles appear to be near
theEquator. The horizontal grid has a spacingof about
12.3 km covering the British Isles and a surrounding
area of sufficient size to ensure that boundary distur-
bances rarely affect the UK forecast. The extent of the
model domain is shown in Figure 1, together with the
model land height, which illustrates its capability to
resolve surface weather. In the vertical, there are
currently 38 levels, which follow the shape of the land/
sea surface at low levels, but which become flatter at
higher levels, until they are surfaces of constant height
at the top.

The model uses a predictor-corrector approach to
solving the equations of atmospheric flow with semi-
implicit time-stepping and semi-Lagrangian advect-
ion. Sophisticated submodels calculate the influence of
stratiform clouds, convective clouds, solar and terres-
trial radiation, surface vegetation, and near-surface
turbulence. The equations are stepped forward by
5minutes at a time, and the full forecast up to 36 hours
ahead takes about 20minutes on a T3E supercompu-
ter using 120 processors.

The initial state for each forecast is obtained by
incorporating observations of surface and upper-
air conditions for the past three hours, using a
three-dimensional variational data assimilation meth-
od. In addition, the analysis is ‘nudged’ towards
analyses of cloud and precipitation obtained using
radar, satellite, and surface observations of these
quantities.

The model data assimilation is run every three
hours, and a 36-hour forecast is generated every 6
hours. Each forecast run is also extended for an
additional 12 hours, to provide backup in the event of
a missing run due to computer or power failure.

The main products from the model are charts
of near-surface temperature, wind, and visibility,
cloud amount and height, and precipitation amount,
which are used as guidance by forecasters (Figure 2).
However, the results are also used as the basis for
generation of automated forecasts, which for many
purposes are now competitive with manually gener-
ated ones.

The German Weather Service has recently intro-
duced a new regional NWP model covering
western Europe, which uses the nonhydrostatic set
of equations and has a horizontal grid spacing of
about 10 km. In trials, it showed particular skill
in the prediction of severe rainfall events leading to
floods.
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The United States National Center for Environmen-
tal Prediction (NCEP) runs a regional model for the
whole of the North American continent which uses a

unique vertical coordinate inwhich the Earth’s surface
is represented by steps. Called the Eta model,
it is currently run with a horizontal grid spacing of

Figure 1 Domain and surface land height of theMetOffice regionalmodel in 2002. The land height is indicated by a color block for each

grid square and so indicates the resolution of surface forcing in the model (Figure supplied by C. Wilson, Met Office).
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about 25 km. This approach has been shown to
provide a more accurate representation of motion
over and around mountains than the usual terrain-
following vertical coordinate, as used in the UK
model.

The HIRLAM (High Resolution Limited Area
Model) model has been developed by a consortium
of Nordic and other European countries. It is a grid
point, hydrostatic model with a similar formulation to
the UK model. The participating countries use it in
a variety of configurations according to their opera-
tional requirements.

See also

Air–Sea Interaction: Momentum, Heat and Vapor
Fluxes. Boundary Layers: Modeling and Parameterizat-
ion. Dynamic Meteorology: Balanced Flows;
Primitive Equations. Mesoscale Meteorology:
Models. Numerical Models: Methods. Operational
Meteorology. Parameterization of Physical Proc-
esses: Clouds; Gravity Wave Fluxes; Turbulence
and Mixing. Quasi-geostrophic Theory. Radiative
Transfer: Cloud-radiative Processes. Weather
Prediction: Data Assimilation; Regional Prediction
Models.

Figure2 15hour forecastof screen temperature (colour shading) and10mwind (featheredarrows: each full fleche represents10 kn) for

15UTC 23rd July 2002 from the Met Office regional NWP model. Winds indicate the circulation of a depression in the North Sea.

Temperatures are similar over land and sea in the vicinity of this depression, but are colder over the high ground of Norway, and warmer

over most of France (Figure supplied by C. Wilson, Met Office).
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Introduction

Predictions of seasonal and interannual weather (cli-
mate) are predictions of the deviations from the
normal march of the seasons. The predictions are of
the statistics of the atmospheric states within a season.
These are generally time-averaged, and a common
prediction is of the seasonal mean anomaly together
with a measure for its likelihood of occurrence. These
are conventionally referred to as climate predictions,
and are distinguished from short-range weather pre-
dictions that address the sequence of daily weather
behavior.

The feasibility of seasonal and interannual climate
prediction rests on the existence of slow, and predict-
able, variations in the Earth’s boundary conditions. To
be useful, these must exert a control on climate that is
detectable among its random fluctuations. The ex-
pected skill of climate predictions depends on the
relative strength of the detectable ‘climate signal’ due
to boundary forcing and the ‘climate noise’ that is due
to intrinsic random variations.

The leading boundary source of seasonal and
interannual climate predictability is the ocean. Its
thermal inertia produces long time scales of variations
relative to those in the atmosphere, and it exerts an
appreciable control on the atmosphere. Foremost
among these are the tropical ocean states associated
with ElNiño/SouthernOscillation.Other sourcesmay
originate from air–sea interactions over the extratrop-
ical oceans and the impact of land surface factors such
as soil moisture and snow cover.

The practice of seasonal and interannual climate
prediction involves empirical techniques trained on
historical observations, and dynamical techniques
using general circulation models. At times these
methods are comingled to take advantage of their
respective strengths. Regardless of the procedure used,
these predictions are probabilistic rather than deter-

ministic. This circumstance reflects the influence of
random weather fluctuations that are not controlled
by perturbations in boundary forcing. Seasonal pre-
dictions therefore express the shift in probability of the
predictand, a common example being categorical
forecasts of the tercile range of below-normal, near-
normal, and above-normal seasonal mean tempera-
ture and precipitation.

Assessing Seasonal and Interannual
Predictability

The predictability of time-averaged seasonal anoma-
lies depends on the ability to relate them to anomalous
states in the boundary forcing. In this view of seasonal
predictability, the boundary conditions are regarded
as external forcings of the atmosphere. The different
surface boundary forcings include sea surface temper-
atures (SSTs), land surface conditions, sea ice, and
snow cover. They could also include anomalies in solar
radiance at the atmosphere’s upper boundary, al-
though these have longer than interannual time scales.
A complete assessment of seasonal and interannual
predictability must thus also examine the predictabil-
ity of the boundary states themselves.

Even in the absence of anomalies in boundary
forcing, time-averaged states of the atmosphere vary
from year to year owing solely to nonlinear, internal
dynamics. This so-called natural variability, or ‘cli-
mate noise’, represents the unpredictable component
of the seasonal variance. The year-to-year variance
due only to the boundary forcings is referred to as the
‘climate signal’, and represents the potentially pre-
dictable component of seasonal variance. These two
components of seasonal variability are also referred to
as the internal and external variances. Classical
predictability assessment assumes the nonlinear inter-
action between them tobe small, and the total variance
of seasonal means is expressed as the linear combina-
tion of internal and external components of variance
(eqn [1]).

s2T ¼ ðs2I þ s2EÞ ½1�

An assessment of seasonal predictability involves
comparing the climate noise to the climate signal by
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evaluating the ratio of variances in eqn [1]. Estimates
using observed and general circulation model (GCM)
data indicate that the total variance of seasonal
averages in the extratropics originates largely from
internal dynamics, whereas boundary-forced external
variance becomes an increasing fraction of the total
variance in subtropical and tropical latitudes.

The boundary forcing of primary importance is that
associated with El Niño/Southern Oscillation (ENSO),
a time-series of which is shown in Figure 1. Linear
statisticalmethods can be used to estimate the observed
seasonal atmospheric variance that is explained
by such an ENSO index, the results of which are
shown in Figure 2A using 500 hPa geopotential
heights trained on data for 1950–1999. Also shown
are the total seasonal variance (Figure 2B) and the
ratio of the ENSO signal to that total (Figure 2C).

Both the ENSO signal and the total variance are
largest in the extratropics; however, the fraction of the
total variance that the ENSO signal explains is largest
in the tropics. There, the ratio of variances exceeds 0.5,
indicating that over half of the seasonal atmospheric
variability is related to seasonal variations in tropical
Pacific SSTs, and points to a high potential for skillful
seasonal and interannual predictions. By contrast,
little of the seasonal variance outside of the tropics is
due to ENSO, and thus the ENSO-related predicta-
bility is judged to be low. The principal exception is
along a great circle route spanning the Pacific–North
American sector, where as much as 30% of the total
seasonal variance is ENSO related. It is this ‘telecon-
nection’, describing a remote relationship between
global atmospheric circulation and tropical SSTs, that
is the cornerstone of seasonal and interannual predic-
tions over North America.

Experiments using atmospheric GCMs are a pow-
erful tool with which to address this basic question of
seasonal and interannual predictability.Modernmod-
els are global, and are based on the dynamical system
of equations, the so-called primitive equations. In
these atmospheric models, the boundary data are
specified, including SSTs, surface albedo, and sea ice.

Because the models can be run numerous times
(ensemble simulations) starting from slightly different
atmospheric initial conditions but forcing with iden-
tical boundary conditions, the internal and external
variances can be calculated explicitly. The variability
among ensemble members subjected to the same
boundary forcing measures the internal variance,
while the variation of the ensemble means subjected
to different boundary forcing measures the external
variance.

A GCM-based estimate of the external variance of
500 hPa heights is shown in Figure 3, derived from 18-
layer atmospheric models using triangular truncation
at 42wavenumbers (T42). The global SSTs and sea ice
have been specified to evolve monthly according to
observations for the period 1950–1999, and a 47-
member ensemble of simulations has been produced.
Although the simulated external variance (a) is related
to fluctuations in global SSTs, it is in many ways
similar to the observed ENSO climate signal due to
equatorial Pacific SST variations only (see Figure 2).
The same ensemble simulations can be used to
estimate the seasonal variance due to ENSO only,
and Figure 3B shows this ENSO-component calculat-
ed in the same manner as for the observations.
Analyses of this type, involving intercomparisons of
observational and model tools for predictability
assessment, provide the evidence that ENSO is the
primary source of seasonal predictability among the
variations in SSTs over the world oceans.

There is a strong annual cycle to the predictability of
seasonal means. In the Northern Hemisphere extra-
tropics, boreal winter and spring exhibit the best
prospects for ENSO-related atmospheric predictabil-
ity. Reduced predictability in summer and fall reflect a
diminution of the ENSO teleconnection, atwhich time
local processes assume a more important control of
seasonal variability.Over the extratropical continents,
land surface effects and soil moisture become
increasingly relevant during summer. It should be
noted, however, that such land boundary conditions
are generally less predictable than the SST states

1950 1955 1960 1965 1970 1975 1980 1985 1990 1995

_3

0

3
ENSO

°C

Figure 1 The time-series of monthly sea surface temperature (SST) anomalies averaged over the area (1601E–801W, 51S–51N) for
the period 1950–1999. Units are degrees celsius. The large positive (negative) departures correspond to El Niño (La Niña).
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associated with ENSO, thereby limiting their utility
for climate forecasts with multiseason lead times. In
the Southern Hemisphere extratropics, austral winter
and spring also exhibit the best prospects for ENSO-
related predictability, although most of that is con-
fined to the South Pacific region.

In the tropics, where ENSO is an almost pervasive
and powerful source of predictability on seasonal and
interannual time scales, other boundary sources of
predictability have also been identified from empirical

and GCM studies. Seasonal mean African rainfall
variability has been found to be influenced by SST
anomalies over the Indian Ocean. Likewise, the rainy
season of north-eastern Brazil is strongly influenced by
tropical Atlantic SSTs, in addition to an impact from
ENSO. In this region of South America, sea surface
temperature anomalies in the adjoining oceans are
important because they control the latitudinal posi-
tion of the Intertropical Convergence Zone, within
which the majority of rain falls. As a further example
of non-ENSOsources of predictability, Indian summer
monsoon rainfall has been linked to antecedent land
surface conditions of south-east Asia including the
priorwinter’s snowaccumulation over theHimalayas.
Finally, we mention the monsoon rains of Indonesia,
which, in addition to exhibiting ENSO-related pre-
dictability, are also sensitive to the local SST states in
the vicinity of the Maritime Continent. As in the case
of the land boundary conditions that can influence the
summer season climates over extratropical continents,
these non-ENSO tropical oceanic states are generally
not predictable at multiseason leads owing to their
shorter time scales of evolution.
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Methods of Seasonal Prediction

Predictions of the seasonal climate anomalies are
made using both empirical and dynamical model
approaches, and at times these are combined to take
advantage of the strengths of the respective methods.
For the case of empirical methodologies, the predic-
tion of seasonal mean climate anomalies is based on
establishing statistical links between a set of predictors
(e.g., SSTs) and the predictands of interest (e.g.,
seasonal mean temperature and precipitation anom-
aly, or the future SST anomaly itself). The statistical
links involve both simultaneous and lag relationships,
and are estimated from historical observed data (the
so-called training period). From a set of independent
data such as is used to define the current state of
predictors, these historically derived links can be
invoked to specify the expected future seasonal mean
state of the predictand.

An example of this approach is in the prediction of
seasonal mean surface temperature over North Amer-
ica, though such empirical methods are widely used in
many other regions and for additional predictands.
Analysis of North American station data reveals that
winter climate variability is influenced by ENSO-
related tropical Pacific SSTs. Since ENSO evolves on
longer than seasonal time scales, it is possible to find
linkages between the anomalous tropical Pacific SSTs
during the fall season and surface temperature anom-
alies over North America during the following winter
season. Using the historical data, the simplest empir-
ical model relates the SST anomaly in the tropical
Pacific during September–October–November (SON)
to the surface temperature anomalies during Decem-
ber–January–February (DJF). These lag relationships
can then be applied to future observations of SON
tropical Pacific SSTs in order to predict the following
DJF North American surface temperature.

A different class of empirical methods involves
identifying trends or very low-frequency variations
and effectively specifying these as the prediction for
the seasonal climate anomalies. Such techniques rely
on the fact that the seasonal climate prediction is for
the anomalies defined with respect to a reference
climate state, typically the most recent 30-year aver-
age. Owing to possible nonstationarity in the climate,
next year’s seasonal mean may in fact be better
represented by a climatology calculated for a shorter
than 30-year period. This forms the basis for specify-
ing that trend as the prediction for the seasonal climate
anomalies. The definition of reference climate state
against which the seasonal anomalies are predicted
plays a crucial role in this empirical method.

A particular advantage of empirical methods of
seasonal prediction is their computational efficiency

relative to dynamical approaches. On the other hand,
empirical methods depend heavily on linear statistical
techniques (regression, canonical correlation analysis,
etc.) to establish linkages between the predictor and
the predictand. Although some nonlinear methodol-
ogies can be employed, the lack of a long time series
of historical data does not make these methods
particularly suitable for extracting stable relationships
that are usable for empirical seasonal predictions.
Another disadvantage of empirical methods is that
they do not take into account secular changes in the
relationship between the set of predictors and the
predictands.

Dynamical methods, including atmospheric GCMs
or coupled ocean–atmosphere GCMs, are not con-
strained by any a priori assumption about the rela-
tionship between the forcings (or the predictors) and
the seasonal climate anomalies of interest. They can
thus represent secular changes in the relationship
between them.Dynamicalmethods are also a valuable
tool to gain physical understanding of the statistical
relationships identified in historical data used in the
empirical predictions. These are computationally
expensive compared to the empirical methods, how-
ever, and the dynamical models have errors in their
depiction of the observed climate that contribute to
errors in their seasonal predictions.

Dynamical seasonal prediction methods rely on the
integration of GCMs, and the current methodologies
fall into two categories. In the first – the so called one-
tier approach for seasonal prediction – coupledGCMs
are integrated from an initial specification of the
observed state of the ocean and atmosphere to predict
the future climate. These integrations typically span
several seasons into the future. An ensemble of
multiple integrations from slightly perturbed initial
conditions, or from initial analyses separated by small
time intervals, are made. The ensemble mean and
spread among members then provides both the
seasonal prediction and a measure of uncertainty in
that prediction.

In the second category of dynamical methods – the
so called two-tier approach – seasonal predictions are
made using an ensemble of atmospheric GCM inte-
grations alone. In these, the future state of boundary
conditions (typically SSTs) are specified as an external
forcing. These future boundary states can themselves
be obtained either from coupled GCMs or from
empirical predictions. The rationale behind the two-
tier approach lies in the fact that the mean SSTs
produced by coupled GCMs can have large biases,
even though they are able to simulate anomalous SSTs
like ENSO realistically and skillfully. To correct for
this, the predicted SST anomaly is added onto the
observed mean state of SSTs during the second-tier of
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an atmospheric GCM integration, thereby providing a
more realistic forcing.

Prediction Products

Seasonal and interannual climate predictions are
inherently probabilistic. This means that a large set
of outcomes exists for a given seasonal mean climate
state. The prediction products must therefore reflect
the statistics of these possibilities. The boundary
conditions that are so crucial in the seasonal prediction
problem (e.g., tropical SST anomalies) can be viewed
as increasing the probability of certain climate states
while diminishing the probability of others. The
predictions, when cast in this form, are forecasts of
probability of occurrence of certain thresholds for the
seasonal mean temperature, precipitation, or other
variable of interest. It is known, for example, that
portions of the southern United States are, on average,
stormy andwet during warm states of the tropical east
Pacific related to El Niño. However, this is not
necessarily the case during all such events, and
furthermore this region can be wet when the SSTs of
the tropical Pacific ocean are normal. A probabilistic
forecast expresses this uncertainity in the outcome of
the seasonal mean climate, and at the same time
reflects the bias toward a particular state due to an
expected anomalous boundary condition.

A routine seasonal and interannual prediction
product, produced by the National Centers for Envi-
ronmental Prediction’s Climate Prediction Center
(CPC), is for the probability of the seasonally averaged
temperature and precipiation residing in different
tercile categories. Figure 4presents an example of such
a prediction for North America. These predictions are
made at lead times ranging from 0.5 months to 12.5
months. The expected changes in probabilities of the
above-, below-, or near-normal categories are shown.
In the absence of any information (i.e., expected skill is
zero), the forecast is of equal 33%probability for each
category, a forecast referred to as ‘climatology’. For a
particular location, it is further assumed that the
forecast for a change in probability in one extreme of
the tercile distribution is accompanied by a compen-
sating change in the opposite extreme. In this way, a
single map yields information of all three categories of
the probability distribution function. The somewhat
rarer prediction of a change in the near-normal
category is understood to occur at the equal expense
of both extreme categories.

Other products can be derived from categorical
probability forecasts of Figure 4. One experimental
product at CPC, as of this writing, is of the probability
that the seasonal mean temperature or precipitation at

a particular location will exceed its climatological
value. These ‘probability of exceedence’ curves are
intended to show additional detail about the forecast
probability distribution function, and in fact give
information about the full distribution. The intent is to
allowusers of seasonal predictions to assess the change
in probabilities for categories that are of most relev-
ence to their decision making.

Predictions of a continuous forecast variable – one
that can assume any value as opposed to being
restricted to a discrete category – are also common.
Anexample is the seasonal predictionof tropical Pacific
SST anomalies. Figure 5 shows the ensemble mem-
bers of a coupled GCM prediction of Nino3.4 SSTs, a
region bounded by 1701W–1201W, and 51N–51 S. It is
evident from the spread of the members that different
solutions occur. Here too, the notion of a probability
distribution function, butof the boundary forcing itself,
is relevant. Since the future state of ENSO is often the
leading factor influencing the seasonal prediction of
temperature and precipitation, a variety of coupled
model and empirical predictions of the equatorial
Pacific SSTs are conducted routinely each month. An
assessment of these, and an effort to distill the often
disparate ENSO forecasts into a single outlook for
ENSO, is itself a prediction product.

The seasonal prediction products themselves are
useful only to the extent that their skill is recognized,
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and as such a further product that accompanies the
predictions is a skill assessment. This typically is a
retrospective analysis of the skill of previous forecasts
made using identical methods. For categorical fore-
casts, the main tool is the Heidke score, which
calculates the hit rate as an accuracy measure. For
measuring the forecast accuracy of continuous pre-
dictands, themean square error (MSE) and correlation
skill score are frequently employed. These require a
long history of forecasts, and represent an average
estimate of skill over that record. It is evident from our
previous predictability assessment based on the signal-
to-noise ratio, however, that cases of strong boun-
dary-forced signal will possess a higher prior skill
than cases with a weaker signal. As such, the expected
skill of a seasonal prediction needs to take account
of the amplitude of the expected boundary forcing
itself.

See also

Air–Sea Interaction: Momentum, Heat and Vapor Flux-
es. Climate Prediction (Empirical and Numerical).
Coupled Ocean–Atmosphere Models. Dynamic Me-
teorology: Primitive Equations. El Niño and the South-
ern Oscillation: Observation; Theory. General
Circulation: Models. Global Change: Human Impact of
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Introduction

Severe weather is any type of violent or extreme
weather event that represents a hazard to public safety
andwelfare. As such, the forecasting of severeweather
events is both an important endeavor and a difficult
one. It is important because the human and economic
costs of severe weather events can be very high,
involving injuries, lost lives, and significant pro-
perty damage. It is estimated that over 15 000 deaths
and billions of dollars in damage occur annually
around the world as a result of severe weather.
The increasing worldwide population and greater
dependence on complex technology-based infra-
structures suggests that our risk exposure is in-
creasing; and severeweather occurs on every continent
except Antarctica, so no country is completely safe.
Severe weather forecasting is difficult because severe
weather events often occur on very small scales
that are not well observed and the physical processes
that produce severe weather are not completely
understood. This combined lack of observational
detail and physical understanding is partially com-
pensated for by the presence of repeatable syno-
pticscale atmospheric features in many of these
events. Thus, the forecasting of severe weather is
based largely upon knowledge of climatology,
pattern recognition, and meteorological parameter
evaluation, in which the human forecaster plays the
crucial role.

In the United States, the country that arguably has
the largest severe weather threat, the term severe
weather is applied only to those events associatedwith
severe local thunderstorms, such as hail, lightning,
damaging surface winds, and tornadoes. In other
countries it is more common to include hurricanes,
flash flooding, fire weather, or winter storms in the
definition of severe weather, since these weather-
related events may most affect public welfare. Hurri-
canes, in particular, are a significant weather hazard,
but owing to their longer lifetimes and limited
geographic region of influence, they are not considered
here. The specific events that are covered under the
umbrella of severe weather forecasting are not as
important as the recognition that weather events
influence our daily lives and can be both a blessing
and a hazard. When they are a hazard, accurate

forecasts of these events can save lives and lessen the
economic disruption produced.

The primarymission of the StormPredictionCenter,
a national center within the US National Weather
Service, is to forecast severe weather events associated
with thunderstorms. This forecastingmission has been
part of theweather service since 1952 and is supported
because of the rarity of severe weather events in any
one locality and the recognition that these events cross
geopolitical boundaries. In some regions of the coun-
try a local weather forecaster may experience a
significant severe weather event once during her or
his career. This requires the forecaster to make all the
right decisions, based upon limited understanding and
limited observations, the very first time thismagnitude
of threat is encountered. In contrast, a forecaster at a
center with national responsibility experiences signif-
icant severe weather events on many days each year.
Thus, the experience base upon which to guide
decisions grows rapidly and can be shared easily
with local forecasters and the general public through
modern communication networks. Countries of
smaller physical size than the United States may
benefit greatly from a multicountry severe weather
forecasting center.

In this article the process of forecasting severe
weather events prior to and during their development
is discussed. This is not the same process as nowcast-
ing, in which the present weather situation is moni-
tored and linear extrapolation is used to predict future
events as illustrated in Figure 1. The forecasting
process does not necessarily involve a longer time
scale, but nonlinear methods are used in the process.
Forecasts typically extend from 0 hours out to a day
or two. Since it is impossible for a human being
to visualize the evolving atmosphere over a period
this long, numerical weather prediction models
play a significant role in the forecasting process.
But one should never lose sight of the fact that
the human forecaster is what makes the process
successful.

Elements of Forecasting

The forecasting process typically begins by defining a
broad region of potential severe weather threat and
then refining this area of potential threat so that the
final forecast product is as specific as possible. This
forecasting process requires a knowledge of climatol-
ogy and incorporates the techniques of pattern recog-
nition and parameter evaluation. We assume that the
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forecaster has access to a standard suite of meteoro-
logical observations, including at a minimum data
from surface stations and upper-air soundings. Real-
time data from radars, satellite, radar wind pro-
filers, lightning detection systems, and aircraft are
also very useful. Observational data are typically
analyzed first, to develop a picture of the atmosphere

at the most recent observational time, followed
by an analysis of numerical weather prediction
model data to help extend the forecast further into
the future.

Climatology

One of the first elements used in the forecasting of
severeweather is knowledge of the climatologies of the
various types of severe weather events. These cli-
matologies increase the awareness of where severe
weather has occurred in the past, so that the forecaster
is prepared and is looking for indications of a severe
weather threat during these seasonal and/or diurnal
time periods. Comparison of the patterns of yearly
cycles of mean monthly tornado and 25.4mmh� 1

rainfall (which is used as a proxy for flash floods)
over the United States indicates that the regions of
highest probabilities for these events are different
(Figures 2 and 3). In addition, the frequencies are
different, with 25.4mmh�1 rainfalls much more
common than a tornado within 40 km of a given
location. Knowledge of these patterns and their
differences helps forecasters better anticipate when
severe weather may be most likely. In addition, there
are days when the potential for severe weather is
high but the expected type of severe weather event
(e.g., tornadic supercell or damaging windstorm) is un-
clear. Climatological information can help determine
which event is most likely. However, the usefulness of
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Figure 2 Tornado days per century over the United States for themonths of (A) January, (B) April, (C) July, and (D) October, illustrating

the seasonal cycle of tornadic activity. Fifteen years of data were used to create these analyses.
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climatology is dependent on the robustness of the
climatological record, which depends to some extent
upon a public recognition of the severeweather threat.

Climatological analyses have become more sophis-
ticated over the years and are beginning to address the
variability in the timing and location of severeweather
events. Annual cycles of various severe weather events
are now being generated for specific locations. These

cycles highlight both the year-to-year reliability and
the year-to-year variability of the severe weather
threat (Figure 4). This information helps forecasters
to anticipate when severe weather is more likely, and
also helps them – to provide information to the public
about why an apparently unlikely event – such as a
tornado during the winter in the state of Mississippi –
is not really all that unlikely.

H
L

(A) (B)

(D)(C)

Figure3 Isolines of 25.4mmh�1 rainfall events per year over theUnitedStates for themonths of (A) January, (B) April, (C) July, and (D)

October, illustrating the seasonal cycle of heavy rainfall. Isolines of 0.1, 0.2, 0.25, 0.33, 0.5, 0.66, and 0.75 events per year are shown.

Forty years of data were used to create these analyses. (FromBrooksHE and StensrudDJ (2000) Climatology of heavy rain events in the

United States from hourly precipitation data.Monthly Weather Review 128: 1198–1199.)
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Pattern Recognition

Many repeatable atmospheric features have been
associated with severe weather events. These large-
scale atmospheric patterns are observed by our present
data networks and are used routinely by forecasters as
a first step to help assess the severe weather threat.
Composite charts, in which specific features found at
different pressure levels within the troposphere are
plotted on a single chart, are often used. These
presentations allow forecasters to view the atmos-

phere in a three-dimensional perspective and can
highlight the vertical relationships between synoptic
features and selected parameter fields considered
important for the type of event being forecast. Com-
posite charts plotted for typical tornadic thunder-
storm, derecho (damagingwindstorm), and flash flood
days illustrate that the synoptic andmesoscale features
associated with these events are different, although
there also are some similarities (Figure 5). Individual
events do not always contain all of the features seen in
these composite analyses, but a number of these
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Figure 5 Composite charts for (A) tornadic thunderstorm, (B) derecho, and (C) flash flood days. Dark wind vectors indicate the position
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features are likely to be observed. Composite analyses
assist in defining the broad region of potential threat,
but more information is needed to develop a more
specific forecast product.

Parameter Evaluation

Parameter evaluation techniques are based upon
our understanding of the physical processes that
produce severe weather, and have changed significant-
ly over time as our understanding has advanced.
Through numerical simulations of severe weather
events and special observational facilities and field
experiments, knowledge of the types of local environ-
ments in which severe weather occurs is growing. This
knowledge leads to the development of various
parameters that are used to assess the severe weather
threat.

Whereas pattern recognition focuses primarily
upon the synoptic-scale features, parameter evalua-
tion often looks at point observations. In particular,
the vertical thermodynamic and wind profiles can

provide many clues as to the types of severe weather
that can be expected. For example, thunderstorms
require large values of convective available potential
energy to produce updrafts strong enough to form
large hail. However, we also know that updraft
strength is not the only factor influencing hailstones
and that the depth over which the hailstone is falling
through temperatures above freezing is also impor-
tant. Tornadic thunderstorms often are associated
with environments having very moist boundary layers
topped by an inversion and steep midlevel lapse rates
(Figure 6). Tornadic thunderstorms also often have a
low-level veering wind profile in which the storm-
relative environmental helicity is large. Parameters
that quantify aspects of the vertical thermodynamic
and wind profiles help further refine the regions in
which severe weather is possible.

Once the broad region of potential severe weather
threat has been defined, the forecaster then looks for
additional limiting factors that reduce the likelihood
of severe weather in the threat region. These factors
are often empirical and discovered from experience. In
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the past, limiting factors were related to output from
numerical weather prediction models. More recently,
limiting factors have often been related to the mete-
orological parameter evaluations. If one or more
parameters are unfavorable for severe weather, then
the region of severe weather threat may be reduced or
these factors may be discussed in the forecast text.
However, a variety of environmental factors influence
the development of severe weather. It is not always
clear in advance whether one marginal ingredient
(such as instability) can be offset by sufficient
vertical wind shear to develop an isolated severe storm
or will perhaps result in more widespread severe
weather.

Initiation

Convective initiation is one of the most difficult
aspects of severe thunderstorm forecasting. It is not
uncommon for all the above factors to indicate that the
storm environment is favorable for severe weather,
assuming thunderstorms develop. It is this last caveat,
that thunderstorms actually develop, that often proves
very challenging to forecast accurately. Three elements
are necessary for the development of thunderstorms:
low-level moisture, steep midlevel lapse rates, and lift.
Many of the above analysis techniques evaluate the
low-level moisture content and steep midlevel lapse
rates, butwhether or not a parcel of boundary layer air
can reach its level of free convection, above which it is
warmer than the environment and rises freely to near
the tropopause, is not easy to assess. Even when we
believe it is likely that deep convection will develop,
specifying the time and location of initiation can prove
very elusive.

Convective initiation is a small-scale process and is
influenced by small-scale features such as boundary
layer thermals, terrain, and vegetation contrasts; by
mesoscale features such as cold surface outflows from
previous convective activity, drylines, and sea breeze
fronts; and by synoptic-sale features such as cold and
warm fronts. All these features can interact to produce
the lift needed to initiate deep convection at a given
location. In one case, strong surface outflows were
observed to collide and a new area of convection was
forecast to occur in the region of collision. No new
convection developed. Postanalysis with special data
indicated that a collision of upper-level anvil outflow
also occurred over a large region above the surface,
producing sinking motion that inhibited further con-
vective initiation, as drawn schematically in Figure 7.
Thismultiscale process is beyond our present ability to
observe using routine observational facilities, while
many of these features also are not understood
completely. It should be no surprise that accurate

forecasts of convective initiation continue to elude
even the best forecasters.

The difficulty of forecasting the exact details of
convective initation was one factor that led to the
development of the ‘severe local storm watches’ for
both tornadic thunderstormsand severe (nontornadic)
thunderstorms in the United States. A severe local
stormwatchmeans that severe local storms are likely if
storms develop. These watches are usually issued for
periods of 4–6 h over a region of 52 000 km2 and have
a quadrilateral shape. They are intended to focus
attention on a smaller region in which the forecaster
believes there is a significant threat of severe weather
and in which convective initiation is most likely to
occur first within a broader region of threat. Watches
are an effective way to alert the public to stay abreast
of current developments so that they can take appro-
priate action if necessary.

Evolutionary Concerns

Once convection develops, or a severeweather event is
under way, it is necessary to determine how long the
severe weather threat will last, what additional areas
will be affected by the event, and how the structure of
the developing system will evolve. In many cases, it is
not unusual for the type of severe weather threat to
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change. The initial threat may be tornadic thunder-
storms, but over time these thunderstorms may merge
and form a line of convection or a mesoscale convec-
tive system. At this later time, the severe threat may be
flash flooding or damaging surface winds. This change
in the severe weather threat often requires a different
type of response from local officials such as emergency
managers, and is another important piece of severe
weather forecasting.

Role of Numerical Models

Output from numerical weather prediction models
provides the forecasterwith valuable information on a
possible future state of the atmosphere. The ability to
predict how the atmosphere will evolve is very
important, because patterns and parameters that
affect severe weather potential are rarely static. They
continuously undergo change, and small changes in
some parameters can lead to either severe weather
occurring or no storms at all. Since model-generated
forecasts are available at regular time intervals and
over a three-dimensional grid that covers the forecast
area of interest, the same techniques used for assessing
the severe weather threat with observational data can
be used to assess the severe weather threat at future
times. These techniques include pattern recognition
and parameter evaluation. The added difficulty is that
numerical weather prediction models are not perfect
and often have biases, and one must account for these
model errors in the preparation of the forecasts. An
additional challenge arises because known biases
and systematic errors often change as models are
routinely updated. This model improvement process
requires forecasters to continuously monitor model
performance.

Measures of numerical model skill indicate that the
operational models in use today are much better at
forecasting the synoptic-scale features of the atmos-
phere than were the numerical models in use 20 years
ago. Unfortunately, the skill of numerical models to
forecast the small-scale and mesoscale features so
important in the forecasting of severe weather has not
seen a similar increase. Thus, even though numerical
models predict details such as convective initiation
and evolution, these fields cannot be treated with the
same certainty as the synoptic-scale patterns. Convec-
tion is one of themost difficult forecast fields to predict
accurately, since it is influenced strongly by all the
other physical processes in the numerical model and is
sensitive to mesoscale variability in initial conditions
that are not resolved by standard observational data
networks.

Forecasters often begin examining numerical model
output through an analysis ofmodel performance over
the previous day or two. Since several numerical
models are available at any given time, forecasters also
compare the output from the various models to learn
where they agree andwhere they disagree. The amount
of agreement between models often provides the
forecasterwith ameasure of confidence that themodel
solutions are more right than wrong.

Once the likely evolution of the synoptic-scale
weather pattern has been determined from the numer-
ical model output, the forecaster then applies the same
techniques of pattern recognition and parameter
evaluation to the model data. From this analysis a
likely evolution of the severe weather situation is
developed. Closemonitoring over time of the accuracy
of the model forecasts occurs by comparing the model
fields with all available observational data. This is
usually accomplished using computer workstations
that display simultaneously a multitude of real-time
data (such as surface and upper-air observations, and
radar and satellite imagery) and model output valid at
the current time. This nearly continuous process of
model forecast evaluation often provides information
on where the model forecast is in error and leads to
adjustments in the severe weather forecasts. The
process begins again as a new model forecast is
produced and made available to the forecaster.

Forecasting Severe Weather Events

It is difficult to illustrate the process of severe weather
forecasting without examining events that show the
complexities one encounters when using observations
and numerical model output. Therefore, two severe
weather events that show the diversity of the issues are
illustrated. Since these are brief analyses of events that
have already happened – so that the ‘answer’ to the
forecast problem is known – the importance of partic-
ular synoptic features andmeteorological para-meters
is typically clearer now than it was prior to the event.

Flash Flood Event: 8–9 October 1992

The growth of outdoor recreational activities in
mountainous areas has increased the risks due to
heavy precipitation events, since people are nowmore
frequent visitors to remote areas where the terrain is
steep and flash floods can occur quicklywithmoderate
amounts of rainfall. Delivering weather information
to these locationswith long enough lead times to allow
the public to take safety precautions likely requires a
watch product similar to that used for tornado and
severe thunderstorm forecasts in the United States.
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One flash flood event that illustrates the difficulties
in forecasting these events occurred over the coast of
eastern Spain on 8–9 October 1992. Over 200mm of
rain fell in themountains to thewest ofValenciawithin
a 24-h period, with amounts exceeding 100mmover a
much larger area. The fall season is the climatological
maximum for flash floods and heavy rainfall in this
region of Spain, so forecasters are always alert for
signals that this type of event could occur.

A composite analysis of conditions during the event
(Figure 8) shows many similarities to flash flood
composite analyses. These features include a moist
low-level environment, strong low-level flow across
the warm front producing strong moisture and warm
temperature advection, and a short-wave trough at
500 hPa just upstream of the surface low center.
However, as with most forecast situations, there are
also anumber of differences between this event and the
more classic flash flood patterns shown in Figure 5.
The surface moist layer for this case is shallower,
extending to below 850 hPa, and the atmosphere is
drier above this moist layer than is typical. This
shallowmoist layer, topped by a drymid-troposphere,
might cause a forecaster to doubt the heavy rainfall
potential. However, the orography of eastern Spain,

with coastal mountains extending to above 2000m
and oriented almost perpendicular to the low-level
flow on this day, is a factor that is not considered in the
flash flood composites. It is well known that orog-
raphy can play a significant role in the production of
heavy rainfallwhen the flow is upslope and strong, and
the moisture content of the low-level air is high, by
lifting the air to its lifting condensation level and
producing clouds and persistent heavy rainfall up-
stream of the highest terrain. This orographic lifting of
warm, moist, low-level air appears to have been the
major contributor to the heavy rainfall andflash floods
on this day.

Tornadic Thunderstorm Outbreak Event:
3 May 1999

Since strong and violent tornadoes are almost always
associated with supercell thunderstorms, a subset of
all thunderstorms that have strong, persistent mid-
level rotation coincident with the storm updraft, the
forecasting of significant tornadoes is very similar to
the forecasting of supercell thunderstorms. Envi-
ronmental factors that are favorable for supercell
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thunderstorm development are moderate to large
values of convective available potential energy and
vertical wind shear, often evaluated by calculating the
storm-relative environmental helicity. Many studies
have demonstrated that these two factors lead to the
development of midlevel rotation in thunderstorms,
the key characteristic of supercells. It has recently been
suggested that the development of low-level rotation
in thunderstorms is influenced by the distribution of
rainfall near the updraft. This effect has been evalu-
ated using variousmeasures ofmidlevel storm-relative
winds. Thus, once a prediction of supercell thunder-
storms ismade, forecasters examine the strength of the
midlevel storm-relative winds to determine the likeli-
hood of tornado development.

On 3 May 1999 a tornado outbreak occurred over
the south–central United States that produced more
than 60 tornadoes and resulted in 45 deaths and over
US$1 billion in damage. This event is unusual in that
some of the synoptic features common to tornado
outbreaks were absent, notably the lack of a strong,
fast-moving short-wave trough and a deepening sur-
face low-pressure center. In addition, there are no clear
signals in the data as to why convection developed in
one region as opposed to another, and the numerical
model output provided little useful information on
convective initiation. However, a composite analysis

of fields from a 24-h forecast valid at the time of the
tornadoes shows many features seen in tornado
composite analyses (Figure 9). The low levels are
moist and a strengthening low-level jet advects addi-
tional moisture into the region of threat. At upper
levels a jet stream is crossing the region, although the
short-wave trough is relatively weak, slow moving,
and located too far west. A surface dryline is also in
place ahead of the cold front, which could act to
initiate convection, although convergence along the
dryline is predicted to bemodest at best. Thus, pattern
recognition techniques using 24-hmodel forecast data
suggest a potential for severe thunderstorms, assuming
storms can develop.

Parameter evaluation techniques further suggest a
threat for supercell thunderstorms. Model forecast
soundings show moist low levels, capped by an
inversion, with steep midlevel lapse rates, allowing
for large values of convective available potential
energy as seen in Figure 10. The vertical wind shear
is moderate and calculations of storm-relative envi-
ronmental helicity are well above the threshold values
typically associated with supercell thunderstorms.
Now that the threat of supercell thunderstorms has
been diagnosed, further analysis of themidlevel storm-
relative winds indicates that these are favorable for
the development of low-level rotation, or tornadoes.

CAPE = 3000
SREH = 250
BRNSHR = 50

1000
900

800

700

600

500

400

300

200

100

P
re

ss
ur

e 
(h

P
a)

_30 _20 _10 0 10 20 30 40
Temperature (°C)

40

30

10

8 12 16 20 24 28 32

1 2 3 5 8 12 20

0

_ 10

_ 20

_ 30m    s_2 _2

m    s_2 _2

m    s_2 _2

Figure 10 Skew-T log p diagram of 24-h model forecast temperature (heavy line), dew-point temperature (light line), and winds from

central Oklahoma at time of the tornadoes. Full wind barb is 5ms�1. Values of convective available potential energy (CAPE), storm-

relative environmental helicity (SREH) and bulk Richardson number shear (BRNSHR) calculated from this wind profile are shown. SREH

is calculated using a climatological storm motion based upon the mean wind in the 850–200hPa layer.

2576 WEATHER PREDICTION / Severe Weather Forecasting



Thus, the threat for tornadic supercell thunderstorms
is recognized, but the question of initiation remains. If
storms initiate, there is a high likelihood of some
tornadic thunderstorms, but it is doubtful that anyone
could have anticipated the number and violent nature
of the storms on this day. Forecasters at the Storm
Prediction Center closelymonitored the observational
data and issued a tornado watch as soon as convective
initiation appeared likely. They were alert to the
potential danger from this weather scenario and acted
quickly once the threat was realized.

Future Directions

As computer power continues to increase, it is likely
that numerical weather prediction models will be able
produce forecasts over large regions of the globe that
can explicitly resolve individual thunderstorms in
great detail. Some have taken this capability to mean
that the need for human forecasters will be reduced,
since numerical model guidance will have so much
detail. Unfortunately, the atmosphere is a complex
system and this complexity may be the greatest for
severe weather events, suggesting that processes like
convective initiation will continue to be difficult to
forecast accurately. Advances in our scientific under-
standing of the processes that lead to the development
of severe weather may alter many of the parameter
evaluation methods mentioned. Therefore, the need
for human forecasters and their ability to assimilate
vast amounts of information quickly and incorporate
recent scientific advances into their work will remain
for the foreseeable future.

See also

Convective Storms: Convective Initiation; Overview.
Flooding. Lightning: Overview. Mesoscale Meteorol-
ogy: Overview. Microbursts. Operational Meteo-
rology. Radiosondes. Severe Storms. Synoptic
Meteorology: Forecasting; Weather Maps. Tornados.
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Introduction

The atmosphere can be regarded as a dynamical
system with an infinite number of degrees of freedom.
If one considers the whole spectrum of atmospheric
phenomena, covering different spatial and temporal
scales, the number of states that can be assumed by the
atmospheric variables is indeed infinitely large. How-
ever, when interest is restricted to the large-scale

features of the atmospheric circulation (especially in
the extratropics during the cold season), many stati-
stical analyses of the multidecadal record of observed
data suggest the existence of preferred circulation
patterns that seem to be particularly recurrent and/or
persistent.

Examples of these recurrent flow types are presented
in Figure 1: the monthly mean geopotential height at
500 hPa in January of four different years is shown,
superimposed on the corresponding anomalies (i.e.,
deviations from climatology) over the northern extra-
tropical regions. It is evident that the two circulation
anomalies shown in each row of Figure 1 are quite
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simular to each other, while there are strong differ-
ences between the anomalies in the top row and those
in the bottom row. Indeed, these two sets of patterns
are characterized by nearly opposite anomalies over
the north-east Pacific and most parts of North Amer-
ica and Eurasia.

Several explanations have been proposed for the
existence of preferred circulation patterns. Some of
them are based on linear theories of the interactions
between the observed time-mean state of the atmos-
phere and large-scale circulation anomalies. Because
of the zonal asymmetry of the climatological basic
state, some large-scale patterns may be much more

efficient than others in amplifying at the expense of the
energy of the time-mean state, ormay generate amuch
stronger response to anomalies in the distribution of
diabatic heating.

Theories of a different kind are based on the
nonlinear nature of the equations that govern the
atmospheric motion. Because of their nonlinearity,
these equations may possess a number of different
stationary states. The so-calledmultiple equilibria of a
number of highly simplified atmospheric models have
therefore been proposed as an explanation of the
preferred persistent anomalies of the atmospheric
circulation.

(A) (B)

(C) (D)

−150 −90 −30 30 90 150

Figure1 Monthlymean geopotential height at 500 hPa (black solid contours) and its deviation from the climatological mean (shaded) in

(A) January 1981, (B) January 1986, (C) January 1982, and (D) January 1991. Contour interval 100m for full fields, 60m for anomalies.
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In reality, no observed atmospheric state is exactly
stationary: even though large-scale features may
remain relatively constant, unstable synoptic distur-
bances always generate variability of the day-to-day
weather. On the other hand, the intensity and geo-
graphical distribution of theweather events is strongly
affected by the characteristics of the large-scale flow.
Therefore, rather than looking at the equilibria of the
instantaneous flow, it may be more appropriate to
investigate the quasi-stationary states produced by the
interactions of large-scale flow anomalies with the
associated distribution of synoptic-scale disturbances.
These statistical–dynamical equilibria, which involve
interactions between phenomena with different spa-
tial and temporal scales, are usually referred to as
‘weather regimes’ or ‘flow regimes’.

The concept of multiple equilibria has been used to
explain nonlinear phenomena in many branches of
physical climatology and geophysical fluid dynamics.
In oceanography, for example, it is widely accepted as
an explanation of some aspects of the long-term varia-
bility of the thermohaline circulation. In atmospheric
sciences, theories ofmultiple equilibria have alwaysbeen
more controversial, partly because of the highly simpli-
fied nature of themodels proposed, partly because of the
difficulty of finding observational evidence to support
them. The concept of weather regimes, on the other
hand, has beenmorewidely accepted, since such regimes
have been simulated in a number of intermediate-
complexity models that produce a fairly realistic de-
scription of the atmospheric flow.

The summary of theoretical and observational
studies on flow regimes given in the following sections
will be focused on the northern extratropical circula-
tion, following the majority of investigations on this
issue. It should be mentioned that the existence of
weather regimes in the Southern Hemisphere and in
the tropical circulation has also been advocated.
Whether a regimelike behavior may explain some
aspects of the variability of the Asian summer mon-
soon is currently amuch-debated issue.On the basis of
results from simplified numerical models of the mon-
soon circulation, it has been suggested that the
interannual variability arising from anomalies in
tropical sea surface temperatures may be repre-
sented (particularly in the Indian region) by a modi-
fication of the frequency of two regimes corresponding
to the so-called active phases and break phases of the
monsoon. So far, the observational evidence support-
ing this interpretation ofmonsoon variability is scarce.
However, the relationship between the statistical
properties of regimes and variations in atmospheric
forcing is receiving attention also for the extratro-
pical regions, since it may be a key to understanding
the regional patterns of atmospheric response to the

perturbations of the Earth’s radiative balance arising
from anthro-pogenic emissions of greenhouse gases.

Dynamical Models with Multiple
Equilibria and Flow Regimes

The first (and simplest) atmospheric model that has
been used to investigate the existence of multiple
equilibria is represented by the barotropic vorticity
equation forced by bottom topography. If c is the
streamfunction at the equivalent barotropic level, and
Vc given by eqn [1] is the associated nondivergent
wind, the model can be written as eqn [2].

Vc ¼ � qc
qy

;
qc
qx

� �
½1�

qr2c
qt

þ Vc .= r2cþ f 1þ H

H0

� �� �

¼ �kr2ðc� cnÞ ½2�
where f is the Coriolis parameter, H=H0 is the
topographic height scaled by a suitable reference
value, k is a dissipation coefficient, and cn is an
equilibrium state in the absence of topography.

Aminimal version of thismodel (either in a so-called
beta-channel or in a hemispheric domain) can be
obtained by expressing c as a linear combination of
just three orthogonal functions as in eqn [3].

c ¼ uC0ðyÞ þw1C1ðx; yÞ þw2C2ðx; yÞ ½3�
In eqn [3],C0 represents the zonal-mean flow;C1 and
C2 represent the two components (in quadrature
along the x-direction) of a planetary-scale Rossby
wave that has near-zero phase speed when the zonal
mean flow is close to its time-mean value. If the three
functionsC0,C1, andC2 are normalized in such away
as to have the same kinetic energy, the flow is relaxed
toward a zonal-mean state cn ¼ unC0, and the topo-
graphic height is assumed to project only on C1, then
the model represented by eqn [2] is reduced (by a
suitable scaling) to the three-variable dynamical
system [4]–[6].

.
u ¼ �hw2 � kðu� unÞ ½4�
.
w1 ¼ ðu� u0Þw2 � kw1 ½5�

.
w2 ¼ �ðu� u0Þw1 þ hu� kw2 ½6�

In these equations, u0 represents the value of u at
which the planetarywave ðC1;C2Þ is stationary, and h
is a coefficient proportional to the topographic height.
The nonlinear terms in eqns [5] and [6] arise from the
absolute vorticity advection, while the terms propor-
tional to h in eqn [4] and [6] represent the orographic
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drag on the zonal-mean flow and the orographic
forcing of planetary waves, respectively.

For a given value of h, the system [4]–[6] possesses
only one (stable) stationary solution when un is
sufficiently small. Above a bifurcation value for un,
three stationary solutions exist, one of which is
unstable. Of the two stable equilibria, that with the
stronger zonal wind has a planetary wave patternwith
a ridge approximately centered over the orographic
maxima (i.e., u > u0 andw1 > 0). In the second stable
state (with uou0 and w1o0) the planetary wave
pattern has a stronger amplitude, and is out of phase
with respect to the topography. Examples of these
stationary solutions are illustrated in Figure 2; the
equilibriumwith largerwave amplitudewas originally
interpreted as the counterpart of the atmospheric
regimes characterized by blocking highs over the
eastern sides of the oceans.

Because of the existence of stable steady states, the
simple barotropic model above cannot simulate tran-
sitions fromone regime to another.Trajectories started
in different parts of the model phase-space will
converge to either of the two ‘fixed points’ represented
by the stable steady states. In the real extratropical
flow, transitions from one regime to the other are due
to a combination of barotropic and baroclinic insta-
bility, which can only be reproduced by multilevel
models with wave components of different wave-
number.

A number of diagnostic studies, however, have
revealed that high-frequency transients do not simply

act as quasi-stochastic perturbations causing transi-
tions between regimes. Instead, they interact with the
large-scale flow in such a way as to modify the
dynamical equilibria of the system. For example, in
the case of blocking highs, it has been shown that the
nonlinear feedback of transient eddies onto the large-
scale anomaly tends to counterbalance the dissipative
processes in the lower troposphere, and to oppose the
downstream advection of the blocking pattern by the
zonal-mean flow in the upper troposphere.

These processes may be simulated by a multilevel
quasi-geostrophic model, described (at individual
pressure levels) by an equation of the form [7].

qq
qt

þ Vc .=q ¼ �Dðc� cnÞ ½7�

In eqn [7],q is the quasi-geostrophic potential vorticity
(PV) given by eqn [8].

q ¼ r2cþ f þ f 20
q
qp

1

s
qc
qp

� �
½8�

s is the appropriate static stability parameter, andD is
a linear, multilevel operator representing dissipative
processes that relax the model streamfunction toward
cn. A forcing term for planetary waves can be
introduced in this model either by defining a zonally
asymmetric cn (for example, to simulate the thermal
contrast between oceanic and continental regions
during the Northern Hemisphere winter) or by intro-
ducing orographic forcing through an additional term
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Figure 2 Streamfunction (thick solid contours) of the two stable stationary states of eqns [4] to [6], with u0 ¼ 10; un ¼ 12;

h ¼ 0:3; k ¼ 0:6. (A) State with u > u0, (B) state with uou0. The topographic height is shown in thin contours (solid for positive values,

dashed for negative values). Units are arbitrary.
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in the definition of PV at the lowest model level
(analogous to the orographic term in eqn [2]).

To introduce the concept of weather regimes, it is
convenient to decompose the streamfunction field into
a low-frequency component and a high-frequency
component by introducing a time scale t, equal to a
typical lifetime of persistent large-scale anomalies. For
the extratropical flow, t is of the order of 10 days. If the
overbar represents a (running) mean over time t,
the low-frequency component can be defined as �cc,
and the high-frequency part as c0 ¼ c� �cc.

The time-averaged version of eqn [7] is given in eqn
[9],where the last term on the right-hand side repre-
sents the nonlinear feedback of the high-frequency
transients onto the low-frequency component.

q�qq
qt

þ �VVc .=�qq ¼ �Dð�cc� cnÞ � Vc
0 .=q0 ½9�

This quantity should be regarded as a statistical–
dynamical variable; its expected value (for any given
�cc) will be indicated as in eqn [10].

F 0ð�ccÞ ¼ �hVc
0 .=q0i ½10�

Weather regimes canbedefined as the solutionof the
statistical–dynamical equation [11].

�VVc .=�qq ¼ �Dð�cc� cnÞ þ F 0ð�ccÞ ½11�
That is the weather regimes are those low-frequency
patterns for which a balance between large-scale PV
advection, dissipation, and feedback from high-
frequency transients is achieved. As mentioned above,
the high-frequency term is mainly balanced by large-
scale advection in the upper troposphere and by
dissipation in the lower troposphere.

Except for very idealized models, it is very difficult
to write an analytical formulation of the term F 0 as a
function of �cc. Therefore, in studies performed with
intermediate-complexity models, a semiempirical ap-
proach has often been used, in which first a very long
integration of the original model equations is
performed, then individual realizations of the high-
frequency feedback are computed (each one corre-
sponding to a �cc field in the model-generated
time-series), and finally F 0 is defined as a weighted
average over a neighborhood of �cc in a suitable
subspace of themodel phase-space. This methodology
can also been adapted to the diagnostic analysis of
observed data.

Another approach, applicable to the analysis of
both modeled and observed data, is based on the
search for multiple maxima (i.e., modes) in the
probability density function (PDF) of the variables
describing the low-frequency flow. If flow regimes do
correspond to quasi-stationary states, then the large-

scale flow patterns corresponding to them should be
more persistent than other patterns, and this should be
reflected in a higher probability density in phase-space.

An example of regimes of a three-level quasi-
geostrophic model, identified by multiple maxima in
the PDF of large-scale parameters, is given in Figures 3
and 4. The model used for this integration has about
500 degrees of freedom for each level, covers a global
domain, and represents the planetarywave forcing due
to (real) topography and to vorticity sources generated
by tropical convection. In models of this kind, it is
difficult to select a priori the variables that are
expected to display amultimodal behavior. Therefore,
multivariate statistical analysis of the modeled varia-
bility is often used as a preliminary step to identify the
most relevant parameters. Figure 3 shows the bi-
dimensional PDFof the first twoprincipal components
(PCs) of streamfunction anomalies at 500 hPa, com-
puted from 5-day means over the Pacific–North
American region. The spatial patterns associated
with these PCs (called empirical orthogonal functions,
EOFs) are shown in Figures 4A and 4B and represent
planetary wave anomalies with maximum amplitude
in the north-eastern Pacific and over the western coast
of North America. The PDF is bimodal, with one
maximumalong the PC-1 axis, and a second one along
the PC-2 axis. Therefore, the two EOFs shown in
Figures 4A and 4B are also representative (in this
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particular case) of the anomalies associated with the
two regimes of the model. In Figures 4C and 4D, the
full 500 hPa streamfunctions corresponding to these
regimes are shown. In the first regime, a predominant-
ly zonal flow covers most of the North Pacific, and a
ridge ofmoderate amplitude is centered on thewestern
edge of the North American continent. In the second
regime, the ridge has a stronger amplitude, its axis is
shifted about 30� upstream, and an anticyclonic
circulation prevails over the north-east Pacific.

Are these regimes the counterparts of the multiple
equilibria of highly truncated barotropic or baroclinic
models, such as the three-variable system described by
eqns [4] to [6]? The answer is not straightforward.
Evenwhen one considers theminimal two-level model
in which interactions between planetary waves and
baroclinically unstable synoptic-scale waves are rep-
resented, one does not find a one-to-one correspond-
ence between stationary solutions and regimes. There
are different reasons for this. First, in models with
chaotic attractors, quasi-stationary regimes (if any)
may only occur in the neighborhood of weakly
unstable steady states, while no regimes are associated
with strongly unstable equilibria. Second, baroclini-
cally unstable eddies grow at the expense of the avai-
lable potential energy (APE) of the time-mean flow,
and therefore themean effect of the term F 0 in eqn [11]
is equivalent to a sink of APE. Since a reduced energy
source will be available for direct energy conversions

from the time-mean flow to large-scale anomalies, the
planetary waves associated with flow regimes may
have a smaller amplitude than those corresponding to
the stationary states of the instantaneous flow for the
same forcing parameters.

On the other hand, the flow-dependent component
of F 0 may act as a kinetic energy source for the large-
scale anomalies,maintaining themagainst dissipation.
This is especially the case for dipolar structures
resembling atmospheric blocking patterns. In fact,
multiple regimes associated with the alternation of
blocked and zonal flows, occurring downstream of a
region with enhanced westerlies, have been simulated
in quasi-geostrophic models possessing only one
stationary solution for the instantaneous flow.

Regimes in the Extratropical
Atmosphere

A number of dynamical models of the atmospheric
circulation that possess multiple steady states and/or
regimes have been described in the scientific literature.
At least for the extratropical flow in the Northern
Hemisphere winter, a reasonably good understanding
of the dynamical mechanisms that lead to the forma-
tion of flow regimes has been established. However,
finding observational evidence of regime-like behavior
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in the real atmosphere has been a much more difficult
task, often leading to controversial results.

In the early 1980s, attempts to detect a ‘signature’ of
flow regimes in the atmospheric flow were guided by
the results of theoretical studies on topographically
forcedmultiple equilibria. Emphasiswas therefore put
on the analysis of indices of the intensity of zonal wind
and of planetary wave amplitude in northern mid-
latitudes. Although no evidence of multiple regimes
was obtained from the analysis of zonal-meanwind (as
justified by later theoretical and modeling studies), an
index of the combined amplitude of planetary waves
with zonal wavenumbers 2 to 4 showed a bimodal
behavior when computed from a multiyear record of
analyses of 500 hPa geopotential height. These find-
ings, extended from a few years to about four decades
of data in subsequent analyses, have been subject to a
lot of critical scrutiny because of the sensitivity of the
detected bimodality to the specific definition of
the planetary wave index (namely, to the extent of
the latitudinal band in which waves are analyzed and
to the time-filtering procedure applied to the time
series). Despite these uncertainties, the discovery of
bimodality in the planetary wave index was quite a
fundamental step in advancing the nonlinear theories
of flow regimes to the role of reputable candidates
for the explanation of extratropical low-frequency
variability.

Part of the problems affecting the significance of the
planetary wave index were related to the difficulty of
condensing all information about the regime structure
into a single index, defined a priori on the basis of
theoretical considerations. Alternative approaches to
the analysis of large-scale flow patterns were attempt-
ed in which multivariate statistical techniques were
used to identify a suitable low-dimensional space in
which the search for regimes could be performed
effectively. The simplest of these approaches consisted
in performing a PC analysis of observed planetary
wave fields, and looking for bimodality in the com-
bined amplitude of the leading PCs. In later studies,
the leading PCs of anomalies of 500 hPa height were
used to search for local maxima in multidimensional
PDFs, or as input to cluster analysis techniques. In all
cases, the goalwas to reveal the ‘coarse grain’structure
of the attractor for the extratropical low-frequency
circulation.

If on the one hand the search of regimes in
multidimensional spaces removed some of the con-
straints associated with the definition of a unidimen-
sional index, on the other it introduced greater
difficulties in assessing the statistical significance of
the results. Also, the arbitrariness in the choice of the
domain is still present in multidimensional analyses.
While some studies were concerned with regimes of

the whole extratropical circulation (either in the
Northern or in the Southern Hemisphere), it was
argued that separate analyses of the regimes in the
North Atlantic and North Pacific regions would
provide more meaningful results because of the
regional nature of the interactions between large-scale
anomalies and high-frequency transients in the Atlan-
tic and Pacific stormtracks.

Differences in methodologies, space–time domains,
and dimensionality of the analyzed subspaces have
produced regime classifications that obviously are not
entirely compatiblewithone another. Still, consistency
can be found in at least a subset of the regimes
identified by different research groups. From the
analyses of the whole northern extratropical flow, a
widespread consensus is found on the existence of two
regimes that are well represented by the flow patterns
in the top row and the bottom row, respectively, of
Figure 1. When related to the results of linear
teleconnection studies, these two regimes are charac-
terized by opposite phases of the Pacific–North
American teleconnection pattern. A third regime
found in most Northern Hemisphere studies, and in
analyses focused on the Atlantic sector, is associated
with the negative phase of the North Atlantic Oscil-
lation pattern and a general reduction in the strength
of high-latitude westerlies. More examples of regimes
defined in the Euro-Atlantic region will be given
below.

Interannual and Interdecadal
Variability of Regimes

One fundamental difficulty arising in the interpreta-
tion of observational analyses of flow regimes is
due to the nonstationarity of the energy sources for
the atmospheric flow. In theoretical and simpli-
fied numerical models of the large-scale flow, the
statistical properties of the circulation depend on the
amplitude and spatial distribution of the forcing terms
acting as energy sources for the model. Usually,
multiple regimes occur only in a certain range of the
forcing parameters and, within that range, regime
properties such as the position in phase space and the
frequency of occurrence depend on the parameter
values.

In the real atmosphere, apart from the periodic
fluctuations due to the seasonal cycle, the energy
sources for the atmospheric flow are modified by
interannual and interdecadal variations in the proper-
ties of the surface boundary (e.g., sea surface temper-
ature, snow, and sea ice distribution) arising from the
long-term natural variability of the whole climate
system. In addition, the planetary radiative balance is
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being altered, in a slow but continuous way, by the
changes in the concentration of radiatively active
constituents produced by human activities. Therefore,
even when the yearly cycle is accounted for by
computing anomalies with respect to a seasonally
varying climate, the multidecadal sample of observed
anomalies in any given season is not homogeneous as
far as the forcing terms are concerned.

The effect of these forcing variations on the regime
properties are very difficult to distinguish from the
natural fluctuations due to the chaotic nature of the
atmospheric dynamics. Based on the theoretical
behavior of nonlinear dynamical systems, one may
hypothesize two different kinds of response. In one
scenario, multiple regimes are well defined and the

forcing variations are small compared to the range of
forcing parameters in which those regime exist. In this
case, the circulation patterns associated to the regimes
will not be strongly modified, but the stability of the
regimes may be altered in such a way that the
frequency of occurrence of one (or more) regimes
will be increased, while other regimes will become less
populated. Alternatively, if the system is close to a
bifurcation point, or the forcing terms are changed
substantially, then the patterns or even the number of
regimes may be modified.

Which scenario is better suited to describe the
observed atmospheric behavior? The answer may
depend on the region considered. Figure 5 shows
the bidimensional PDF of the first two principal
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components of wintertime monthly mean anomalies
of 500 hPa geopotential height in the Euro-Atlantic
sector of the Northern Hemisphere ð20�–90� N;
90� W–60� EÞ. The first PC, corresponding to the x-
axis in the figure, is an index of the North Atlantic
Oscillation (NAO). Figure 5A shows the PDF for the
whole 50-winter record available, while Figures 5B
and C show the PDF computed from the first half and
the second half of the record, respectively.

The 50-winter PDF has three well-defined modes
(i.e., local maxima), which are associated with the
anomalies shown in Figure 6. The regime correspond-
ing to positive PC-2 (y-axis) shows a positive anomaly
covering the central part of the North Atlantic,
corresponding to an enhanced planetary wave ridge
in this region. The other two modes, which occur at
small negative values of PC-2, represent opposite
phases of the NAO. In the negative phase, an anticy-
clonic anomaly develops over Greenland, which
strongly reduces the westerly flow in the Atlantic

poleward of 50� N. In the positive phase, the high-
latitude westerlies are strengthened, and an anticy-
clonic anomaly develops over central Europe. These
regimes have been found in a number of observational
studies of Atlantic variability (although more detailed
analyses reveal at least one more regime, associated
with ablockinghigh over Europe) and also correspond
quite well to the Euro-Atlantic portion of the most
reproducible hemispheric regimes.

If one looks at the PDFs for the two halves of the
records, the first twomodesmaybe clearly identified in
both periods, although with different amplitude.
Conversely, the mode corresponding to positive
NAO is only evident in the second half of the record.
This behavior is consistent with a widely documented
trend of the NAO index in the last few decades. This
trend is not simply reflected in a uniform shift of the
PDF in the PC plane: although a partial shift is
detectable, the most relevant effect is the appearance
of the third mode corresponding to positive NAO.
Overall, the regime change in the Atlantic region
seems to fall into an intermediate category between the
two theoretical scenarios outlined above.

One the main differences between the properties of
low-frequency variability in the Atlantic and Pacific
sectors arises from the different importance of trop-
ical–extratropical interactions in the two regions.
While the interannual variability associated with
tropical sea surface temperature anomalies accounts
for a small fraction of the total variability in the
Atlantic, the extratropical Pacific is strongly influ-
enced by the El Niño Southern Oscillation (ENSO)
phenomenon. Since the east–west asymmetry in the
distributionof diabatic heating in the tropical Pacific is
an important source of forcing for the planetarywaves
in the region, the changes in convective activity
induced by ENSO cannot be regarded as weak
anomalies in the forcing patterns. A number of
observational and modeling studies have found that
the intensity of low-frequency variability in the North
Pacific region is enhanced in the cold ENSO phase (La
Niña) and reduced during warm (El Niño) events. In
fact, there is little evidence of multiple regimes in the
Pacific during strong El Niño events.

Nomenclature

c Streamfunction ðm2 s�1Þ
Vc Rotational wind ðm s�1Þ
f Coriolis parameter ðs�1Þ
H Topographic height (m)
k Dissipation parameter ðs�1Þ
q Quasi-geostrophic potential vorticity ðs�1Þ
s Stability parameter ðm2 s�2 Pa�2Þ.

s ¼ ðR
d̂d
=pÞ½ðRdT=cppÞ � ðqT=qpÞ
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sponding to the three regimes (PDF maxima) in Figure 5. (A)
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Climate Variability: North Atlantic and Arctic Oscillation;
Seasonal to Interannual Variability. Data Analysis: Em-
pirical Orthogonal Functions and Singular Vectors. Dy-
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Southern Oscillation: Observation. General Circula-
tion: Overview. Global Change: Upper Atmos-
pheric Change. Quasi-geostrophic Theory. Rossby
Waves. Stationary Waves (Orographic and
Thermally Forced). Teleconnections. Wave Mean-
Flow Interaction.
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Introduction

Weather is one of the most significant factors influ-
encing wildland fires, as weather conditions from the
seasonal to the instantaneous play a role in where fire
occurs, how it spreads, the intensity of the burning,
and whether or not the fire displays extreme and
erratic behavior. Wildfires in turn make their mark
upon the atmosphere, releasing as much as several
megawatts of heat per square meter and releasing
smoke, composed of aerosols, water vapor and other
gases, aswell as re-releasing pollutants capturedby the
biomass. The connection between wildfires and their
environment is even more complicated, however,
because complex dynamical interactions can occur
when the atmospheric winds caused by the fire feed
back to drive the fire itself. Before examining the
complex interplay between a fire and the atmosphere,
the basic elements required for a fire will be discussed.

Three elements (the ‘fire triangle’) must be present
for a fire to occur and continue. There must be fuel

(any material, living or dead, that can burn), oxygen
for the flame to consume, and heat to begin combus-
tion. Weather can influence all three – the fuel condi-
tion is a result of the recentweather aswell as the year’s
pattern, especially that of precipitation; atmospheric
windsmay fan the firewith oxygen-rich air; and heat is
often provided for ignition by lightning strikes or
transferred to new fuel by wind, for example, by the
lofting of burning embers.

Three environmental factors affect wildland fire
behavior: weather, fuel characteristics, and topogra-
phy. Fuel factors include the type, moisture, size,
shape, amount, and arrangement. Topography factors
include the orientation toward the Sun, the slope, and
features such as narrow canyons and barriers such as
creeks, roads, and unburnable fuel. Of the three
environmental factors, weather (including factors
such as wind, temperature, relative humidity, and
precipitation) is the most rapidly changing. Weather
phenomena that bring changes such as cold fronts,
foehn winds, thunderstorm downdrafts, sea and land
breezes, and diurnal slope winds can be particularly
dangerous, as they can suddenly change the fire’s
direction and behavior. Weather also influences wild-
fires through the other factors of fuel and topography,
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by controlling the fuelmoisture through precipitation,
relative humidity, and winds, and by complicating the
fire-accelerating effect of slopes with topographically
induced flows. Additionally, though weather can
influence wildfire behavior through many pathways,
it has long been recognized that intense fires ‘create
their own weather’. That is, the heat and moisture
created by the fire feed back into the atmosphere,
creating intense winds that drive the fire’s behavior,
sometimes overwhelming the effect of ambient winds.
Research studies have only begun to investigate
this dynamic interaction between wildfires and the
atmosphere.

Effects of Weather on Fire

Fire is the release of energy as heat and light when,
through a chemical reaction, oxygen combines with a
combustible (burnable) substance at a sufficiently high
temperature, involving both heat transfer and fluid
dynamics. Weather affects fires on scales ranging from
persistent, seasonal patterns related to global circula-
tion patterns down to small-scale, rapidly changing
conditions in the fire’s environment by altering
the fluid dynamics of the air in which the fire occurs
and factors that control the combustion of wildland
fuels.

Overall, human-caused fires are the most prevalent
sources of fires around the world, often set to clear
land for agriculture. However, in the United States,
about 80% of fires are caused by natural sources,
nearly all by lightning strikes. When lightning strikes
or an active firebrand lands on fuel, ignition is not
certain. The probability of ignition (the ‘lightning
ignition efficiency’) depends on the duration of the
lightning strike or contact, fuel moisture and temper-
ature, as well as other non-weather-related elements
such as fuel depth.

Wildland fuel consists of ground material such as
duff and forest litter, as well as needles, leaves, twigs,
and larger woody materials of trees. Wood is made up
of cellulose (cell walls) and hemicellulose (which is
readily pyrolyzed), lignin (which mainly forms char),
extractives (primarily hydrocarbons), lipids (a ready
source of combustible volatiles), and ash content
(which exerts a suppressing effect).

Solid wildland fuels such as wood do not burn
directly; ignition has several stages. During a preigni-
tion phase, fuel must be heated by an outside source
and its temperature rises toward the ignition temper-
ature (about 3901C for fuels composed mainly of
cellulose); thus the ignitability depends on the fuel’s
initial temperature, as well as its thermal properties.
This ignition temperature is well above the boiling

point of water, so all the water present in the fuel must
also be vaporized before ignition will occur. At higher
temperatures (200–3401C), fuel undergoes pyrolysis,
the thermal decomposition into an envelope of flam-
mable gases, semi-volatile tar, and a solid char. These
volatile gases (volatile organic compounds, VOCs)
burn in flaming combustion in a narrow envelope of
flame around the fuel-rich zone only where the oxygen
(diffusing inward from free air) and fuel (diffusing
outward) are mixed in certain proportions above the
ignition temperature to produce rapid oxidative
chemical reactions that emit visible light called a
flame. Some VOCs volatized ahead of the flame front
escape the combustion process and are found unal-
tered in the smoke plumes. Ignition is the transition
from pre-ignition to combustion, the temperature at
which external heating is no longer required. Once
ignition is reached, the heat generated by combustion
brings other fuel to ignition, continuing the process.
Finer fuels such as grass carry the flame front
(Figure 1); the speed at which this interface between
burning and unburned fuel travels is called the fire
spread rate. However, combustion may not always
involve a flame. After flaming combustion has con-
sumed most of the volatile substances, the remaining
solid carbon may burn by smoldering (surface oxida-
tion, also called glowing combustion).

The thoroughness with which combustion con-
sumes the fuel (the ‘combustion efficiency’) varies.
Most laboratory studies of gaseous combustion have
been carried outwithwell-mixed (‘premixed’) fuel–air
mixtures, but in natural fires, mixing of fuel and air is
an integral part of the burning process – these flames
are known as diffusion flames. Consequently, com-
bustion is less efficient, burning only where there is a
sufficientmixture of fuel and oxygen. In a free-burning
fire in the atmosphere, enough air is usually entrained
into the flame to burn all the combustible gases;
however, some products of incomplete combustion
survive and are released to the atmosphere. If com-
bustion is not complete, some of the volatile products
remain as very small, suspended drops of fluid, along
with minute carbonaceous particles formed in the
flame under conditions of low oxygen and high
temperature. These make up the particulate portion
of smoke that reduces visibility. Carbon monoxide
(CO) is also a product of incomplete combustion, and
the ratio of CO to total carbon content including CO2

(a product of complete combustion), indicates the
degree of complete combustion. Extinction is the
termination of combustion and occurs when one of
the three elements of the fire triangle is removed
(e.g., there is nomore fuel, the oxygen supply is cut off,
or the heat required to bring fuel to ignition is removed
by dousing with water).
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Small-scale Effects of Temperature and Relative
Humidity on Combustion

Atmospheric temperature, relative humidity, and
wind directly affect combustion rates or the fluid
dynamics of the air in which combustion occurs.
Higher fuel and ground temperatures make it easier
for fire both to ignite and to burn, because less heat
must be added and less time is required to bring the
fuel’s temperature to the ignition temperature. This is
one reason why fire activity usually peaks in the late
afternoon. Solar radiation can also add to the fuel
temperature – in some climates, there can be a 251C
difference in fuel temperatures between sunny and
shaded spots. Cloud cover or dense smoke in the fire’s
own smoke plume can shade the fire and reduce fuel
temperatures.

A fire’s potential is very sensitive to the dead fuel
moisture, defined as the percentage ofmass ofwater to
themass of dry fuel. The equilibriummoisture content
is the value the moisture content would approach
if the fuel were exposed to constant temperature and
relative humidity for an infinite time. However,
atmospheric conditions surrounding fuel seldom re-
main the same for long, and different fuels can be
classified according to the time it takes them to
adjust to changes in the atmosphere. The fuelmoisture
itself is determined by ambient relative humidity,
temperature, and precipitation, and responds to
changes in its environment with a time lag propor-
tional to the fuel’s diameter; this time lag is loosely
defined as the time it takes a fuel particle to reach 2/3 of
theway to equilibriumwith its local environment. The
moisture content of fine fuels such as twigs, needles,
and grass adjusts fairly quickly to ambient conditions,
with a time scale of minutes to an hour. Larger-
diameter fuels take longer to adjust to ambient
moisture conditions; for example, logs 15 cm in
diameter have an average time lag of about 36 days.
(For clarity, this time lag is generally expressed in
hours, and fuels are often characterized as having 10,
100, or 1000-hour fuel moistures.) For this reason,
large precipitation rates over a short timewill not raise
fuel moisture as much as lesser rainfall rates over a
longer time. Wood that may ignite easily at fuel
moistures of a few percent may smolder at fuel
moistures of 13%, for example, and not burn at all if
the fuel moisture rises to 15–20%. Thus, lightning
strikes in relatively cool, moister evenings can cause
fire starts that smolder overnight (or even for weeks)
before becoming active when conditions for fires
improve, as daytime temperatures rise and humidity
drops, and fuels dry to the point where flaming
spread is possible. In the western United States
during the summer, dry lightning storms – lightning
storms in which negligible precipitation reaches the
ground – commonly ignite many fires. These storms,
characterized by deep, dry adiabatic layers and mid-
tropospheric moisture, support high-based thunder-
storms that nevertheless produce many lightning
strikes.

Wind, either ambient or induced by the fire itself,
encourages combustion and fire spread by drying the
fuel (by increasing the evaporation rate), by ventilat-
ing the fire by increasing the supply of oxygen, by
influencing the direction of fire spread (generally
directing it toward fresh fuel), and by tilting the flame
forward and closer to unburned fuel ahead of the fire
that may be warmed and dried by radiant heat, a
process very dependent on proximity to the flame. The
relative importance of these convective and radiative
effects is still unclear.

Figure 1 The fire process. Fuels are usually a mixture of dry fine

and heavy fuel. Heat preheats the fine fuel. Moisture is boiled off.

Tar appears as visible smoke. A cloud of combustible gases is

formed. Heat ignites the combustible gases. Flames from fine fuel

preheat larger fuel.Gases from larger fuel ignite. Fine fuel begins to

burn by glowing combustion. Ash is formed. Preignition, ignition,

and flamingandglowingcombustion are occurring in different parts

of the fire. Smoke particles and CO result from incomplete

combustion. Wood collapses due to heat-weakening of cellulose.

Graymineral ash coats the fuel surface.Ashmust be knockedoff to

prevent smothering. The fire is out. Most of the cellulose fuel has

reacted with oxygen to form CO2 and water. (Photograph courtesy

of USDA Forest Service.)
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Atmospheric stability is recognized as an indicator
of fire behavior, as fires purportedly burn less intensely
when air is stably stratified. A physical basis for this
consensus is that a stable atmosphere is averse to
vertical motions and thus limits the updraft strength
over afire (limiting the convergence at its base, limiting
the winds ventilating the fire), while a superadiabatic
surface layer would enhance any perturbation caused
by a fire.However, thismay also partially be attributed
to atmospheric conditions that accompany stable
atmospheric stratifications, an example of which is
seen during inversions. An atmospheric inversion is a
layer in the atmosphere where the atmospheric tem-
perature is steady or increaseswith altitude. Inversions
often form at night near the surface and are common
during calm, settled weather. They are an important
factor in fire behavior, because when an inversion
starts to lift or break, fire behavior can change
abruptly, as winds pick up, surface temperatures rise,
and relative humidity drops. Similar to inversions,
other atmospheric temperature structures called ther-
mal belts play into fire behavior. Thermal belts of
relatively warm air may form midway up slopes in
mountainous areas. The top of the night inversion is
usually below the main ridges. The height of the
warmest air temperature is at the top of the inversion.
From the top of the inversion, the temperature
decreases as one goes farther up or down the slope.
This region of warmer air (with accompanying low
relative humidity) is called the thermal belt.Within the
thermal belt, wildland fires can remain active through-
out the night.

Subsidence, the large-scale sinking of air often
associated with high-pressure systems, can also play
a role in fire behavior. As air from higher elevations in
high-pressure systems descends to lower elevations, it
warms and dries. Although the air is stable, subsidence
can lead to increased fire activity as this warmer and
drier air sinks to the surface.

A negative vertical wind shear – that is, winds that
decrease with height – has long been cited as a
contributing factor to intensification of fires, but the
dynamics throughwhich this may occur have not been
explained.

Indicators of the potential severity of wildfires can
be designed by combining known factors. For exam-
ple, the widely usedHaines Index (HI) is calculated by
combining the vertical temperature difference be-
tween the 70 and 50 kPa atmosphere levels (as a proxy
for lapse rate) and the temperature and dew point
difference at 70 kPa (indicating the dryness) to pro-
duce a number that indicates the potential for fire
growth. The stability and moisture terms are each
assigned values between 1 and 3 that, when added
together, result in an index that varies from2 to 6.AHI

of 2 or 3 indicates a relatively moist, stable air mass
with a very low potential for large wildfire growth,
while a value of 6 indicates a dry, unstable air mass
with high potential for large growth and extreme
behavior of wildfires. HI values of 4 and 5 suggest low
and moderate potential, respectively. Even though the
effects of wind are not factored into the HI, the index
has been shown to correlatewellwith rapidfire growth.

Diurnal Variability and Changing Weather Patterns

The daily diurnal cycle in temperature and relative
humidity (RH), characterized approximately by a
sinusoidal patternwith amaximumRHandminimum
in temperature in earlymorning, is a crucialwindowof
opportunity in fire suppression. This nighttime reco-
very in temperature and RH is the norm, especially in
high, dry regions, where nighttime temperatures can
drop as much as 251C as radiative cooling leads to a
cool, stable nocturnal boundary layer. This period is
known as the ‘nocturnal laydown’, as fires subside at
night in low temperature, high-RH conditions, offer-
ing an opportunity for suppression. Exceptions can
occur if there is nighttime cloud cover (which warms
the surface through radiative heating), or winds that
dissipate the stable layer and encourage vertical
mixing.

Changes in weather conditions can lead to unpre-
dictable fire behavior, as they can suddenly change the
fire spread rate, direction, and fire intensity. Such
changes include the following.

� Pressure gradient winds related to synoptic-scale
weather patterns.

� Cold fronts, which bring erratic, gusty winds, and
wind shifts after the frontal passage.

� Regional downslope winds, such as foehn winds in
the Rockies and Santa Ana winds in California.
These strong, dry winds can sometimes blow for
days with gusts up to 50m s�1, exacerbating fire
behavior while decreasing fuel moisture.

� Thunderstorms that can cause strong downdrafts,
gusty surface outflows of 30m s�1 (higher for
microbursts), and lightning.

� Marine-related features such as sea and land breezes
that affect the winds, humidities, and temperatures
in coastal areas.

� The breakup of a temperature inversion.
� Diurnal slope winds. In mountainous areas, heating

of the slopes by solar radiation during the day leads
to upslope winds of several meters per second
during the afternoon, and cool drainage winds
that move downslope during the night and early
morning.

In summary, fires benefit from sustained high
temperatures, low RH (single digits), dry fuels, strong
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winds, no RH recovery overnight, dry lightning,
passing dry thunderstorms, and gusty winds. These
are conditions that often coincide, resulting in extreme
behavior such as spotting, crowning, torching of trees,
uphill ‘runs’, rolling debris, and sudden flare-ups that
push fires across firebreaks and rapidly increase their
size. Fires are hindered by afternoon cloud cover,
moisture, still air, and sustained rain. In the United
States, if weather conditions are forecast to include
hot, dry days combined with high winds that could
result in extreme fire behavior, or if extensive fire starts
within the next 24 hours are likely (particularly in the
worst-case scenario of developing thunderstormswith
dry, gusty winds and dry lightning), a fire weather
forecaster issues a ‘Red FlagWarning’. A FireWeather
Watch is issuedwhenRedFlag conditions are expected
within the following 72 hours.

Seasonal and Interannual Weather Effects on Fire

Patterns and variability in weather on longer time
scales affectwildfire activity primarily by affecting fuel
moisture – prolonged periods of hot, dry weather can
leave vegetation cured like tinder. The role of climate is
most apparent in the regionally synchronized out-
breaks of wildfires in particular years that have
occurred for centuries. Broad regions of fire-enhancing
weather are often associated with the biggest resource
losses because of demand for suppression simultane-
ously inmany spots. For example, six of the ten largest
fires of 1999 in the United States were located in
northern Nevada, five of which began over a 3-day
period. Even though the connection of seasonal
climate variability to wildland fires appears intuitively
obvious – that droughts are correlated with wildland
fires – the predictive nature of this relationship is
poorly understood. For example, in some ecosystems,
the drought–fire relationship also involves time lags
with previous moisture conditions. In the US south-
west, when an extremely dry winter–spring follows a
wet spell (when the growth and accumulation of fuels
is encouraged), exceptionally large areas burn the
following summer. In some areas of the northwest
United States and Nevada, the fire risk at the season’s
peak is only weakly correlated with current climate
conditions, and is more strongly linked to conditions
10–18 months before.

The interannual variability arising from the El
Niño/La Niña episodes of the Southern Oscillation
(SO) phenomenon is often cited as a factor in weak/
severe wildfire seasons, respectively, for the United
States (the reverse for Indonesia and Australia), but
usefulness as a predictive tool is limited to certain
regions. Interdecadal changes in fire–climate relation-
ships in the US south-west parallel evidence of shifts in

the frequency or amplitude of the SO over the past
three centuries, where high correlations between fire
and climate signals reflect periods of high amplitude in
the SO and rapid switching from extreme wet to dry
years. Weak correlations are associated with a de-
crease in SO frequency or amplitude.

A research challenge is to separate the climate
impacts on wildfire areal extent from anthropogenic
effects that confound the climate relations, such as
how decades of fire suppression and associated fuel
buildups have compounded the effect of drought, and
how some land use policies have allowed flammable
nonnative species to intrude into shrub lands.

Dynamic Interactions between a Fire
and the Environment

A fire is a continually propagating phenomenon and
spreads by igniting new fuels along its outer perimeter.
The leading part of the fireline is called the ‘head’ and
is the fastest-spreading. The slowest-spreading part is
called the back, where the fire creeps against the wind.
The fire spread rate is measured from a point on the
fireline in a direction perpendicular to the perimeter.
The spread rates can range over three orders of
magnitude, from a barely creeping fire to about
6.7m s� 1 (the equivalent of a 4-minute mile running
pace). Fires spread most rapidly in the direction of the
localwind and, in the absence of other factors, upslope
on terrain. Slope andwind increase the spread rate in a
similar way, by decreasing the angle between the
flames (and the strong convective updraft in the fire
circulation) and the fuels ahead of the fire.

In general, an imposed radiant flux froma flamewill
cause an increase in the flame spread rate, primarily by
preheating and drying fuel ahead of the flames. The
relative importance of this mechanism depends on the
orientation of the flames with respect to the ground;
thus the effect is particularly effective if the fire is
spreading up a steep slope.

Wind enhances the spread of a fire front in a similar
way. This effect increases approximately exponenti-
ally with wind speed up to a critical wind speed, at
which extinction, or blowout, occurs. Although
blowout is not believed to occur naturally in wildland
fires, it is the basis of some fire suppression strategies,
and works by distorting the reaction zone within a
flame by stretching it thin so that fuel vapors have a
much shorter period of time in which to react. If the
reaction zone is too thin, combustion is incomplete
and the flame is effectively cooled, ultimately below
the ignition temperature where it cannot be sustained.

Fire can also grow by igniting fuel outside its
perimeter by spotting, in which burning embers are
carried distances from inches up to several miles from
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the fire either by the ambient wind or by the fire’s
convection column before being dropped.

Examples of Atmosphere–Fire Coupling

Fires sometimes exhibit extreme fire behavior, when
the fire behaves in ways that preclude direct fire
suppression. Examples of this are high spread rates,
crowning (when the fire climbs into the tree canopies,
where it travels rapidly), spotting, the presence of fire
whirls (vortices of fire often seen along firelines), a
strong convection column indicative of intense burn-
ing, torching of trees (a sudden ignition of an entire
tree), and tall flames (sometimes 65m above tree
height). In these situations, it is difficult to predict
what a fire may do next, because the fires often behave
erratically and sometimes dangerously. Research sug-
gests that the cause of extreme behavior is an interac-
tion of the fire with its atmospheric environment.
Numerous examples of interesting behavior result
from this type of interaction.

Fire whirls The intense buoyancy released into the
atmosphere by a fire causes strong convective updrafts
that create a strong convergence into its base, creating
intense winds near the surface that drive the fire’s
behavior, sometimes overwhelming the winds in the
fire’s environment. Vorticity is produced by these
buoyancy gradients,which is tilted and stretched in the
updraft column. Fire whirls, which resemble dust
devils, are often generated by fires (Figure 2) and can

vary from common small whirls up to 5m tall filled
with flame to giant fire vortices approximately 0.5 km
in diameter and several thousand meters tall, in which
the entire smoke-filled convection column rotates.
They can lift large burning embers and loft them far
across the fireline, starting spot fires. They can be
intense, and have been known to break off trees more
than 1m in diameter. They may have vorticities on the
order of 1–10 s�1, though their radii are usually small
and thus their rotational speeds do not reach the
speeds within tornadoes. Fire whirls frequently occur
where floweddies occur, such as on the lee side of a fire,
particularly near the outside edges of a fire front or
when a fire is burning on the lee side of a ridge.

Forward bursts A crown fire is one that spreads
through the tree canopy, with or without a surface fire
beneath. Flame lengths over 50m along with spread
rates over 3.5m s� 1 have been observed. If conditions
for sustained spread through the crowns are not
favorable, the trees will burn out, but a running crown
fire can resultwhenwinds increase and the flames from
one burning tree canopy are driven into adjacent trees.
Crown fires can produce dramatic forward bursts of
flame (Figure 3), allowing them to jump across
firebreaks or rush uphill. Analysis of such an event
captured in infrared imagery (Figure 4) by a research
aircraft flying overhead showed a finger of flame burst
forward 100m at an estimated speed of 50m s� 1 and
then dissipate within two seconds, leaving burning
embers in its path. This type of explosive behavior

Figure 2 A fire whirl is a spinning, moving column of ascending air containing flames that lifts smoke and debris. When seen along

firelines, whirls apparently range in diameter from tens of centimeters to small tornadoes in size and intensity, and are documented as

having uprooted trees. (Photograph from the International Crown Fire Modeling Experiment, 1997.)
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results from an interaction between the atmospheric
winds and the vorticity andwinds produced by the fire.

Horizontal roll vortices and tree crown streets After
a fire has passed, crown fires are often seen to have left
distinctive, sometimes unusual, patterns of burnedand
unburned trees. One example is ‘streets’, where long
strips of unburned tree vegetation are left amidst
otherwise blackened areas; in one case one side of a
row of trees was scorched, and the other side had few
or no burn marks, indicating outward airflow from
within the unburned street. These patterns have not
been explained completely. It has been hypothesized
that downward and outward flowof relatively cool air
from horizontal roll vortices, perhaps from a tilting
convection column, kept fire out of the crowns, and as
it spread outward in bothdirections near the ground, it
caused the fire to leave these burned/unburned pat-
terns. Sometimes the burn patterns are far more
complex (Figure 5) with streets and swirl patterns,
and may involve a sequence of formation and collapse
of such rotating columns along the enlarging fire.
Other explanations suggest that patterns such as this
are the result of fluctuating wind speeds or directions.

Convective fingers Firelines moving across the land-
scape do not normally move in a straight line when
driven by moderate ambient winds (about 3–4m s�1)
but bow forward into parabolic fingers. The parabolic
shape can be understood by examining how the
convergence pattern produced under the fire’s updraft
is projected upon a straight fireline (Figure 6). In the
absence of an ambient wind, a fire would create a

Figure 3 Forward bursts from a crown fire prescribed burn during the International Crown Fire Modeling Experiment, 1997.

Figure4 Asequenceof infrared images lookingdownonacrown

fire climbing a slope (toward the upper right) from a research

aircraft. Colors represent temperature, where yellow is hottest, and

darker reds are cooler. The six images were taken 0.75 s apart.

Note the hot yellow finger that shoots out 100m suddenly in 1–2 s

(frames 3–6); it then disappears. (From Radke LF, Clark TL, Coen

JL.et al. (2000)TheWildfireExperiment (WiFE):Observationswith

airborne remotesensors.CanadianJournal ofRemoteSensing26,

406–417.)
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vertically oriented convective cell centered over itself,
and draw air equally from all sides. However, in an
ambient wind, shown in Figure 6 as coming from the
left, assuming the convective column is tied to the fire
at the surface and tilts downstream with height, the

effect of downstream tilting is to shift the center of the
low-level convergence pattern ahead of the fire front,
drawing air at low levels (levels important to driving a
fire) from different angles along the fireline, forming a
curved inflow region at the fire front.Within a range of
wind speeds, the stronger the wind, the stronger the
tilt, and the farther forward the center of convergence
lies. Stronger ambient winds may cause the convective
column to break away and reform, complicating these
interactions. Longer firelines may form many protru-
sions, or ‘fingers’ along their length, as in the Onion
Fire, shown in Figure 7. The Onion fire produced
fingers about 1 kmwide apart only during times when
an ambient wind was present. When the mean wind
died down, the fire burned out the fuel between the
fingers, once again forming a more linear and stalled
smoldering fireline.

Blowups A blowup is a sudden intensification and
acceleration of burning during a fire. The burn rate
may increase 500%and flame lengths can stretch 65m
above the trees. The convective updraft strengthens,
pulling in surrounding air and further ventilating the
fire. These firestorms create their own wind patterns,
which have been strong enough touproot trees and loft
embers to start spot fires miles away. There is no
definitive explanation of the cause of blowups,
although they typically occur during the afternoon,
with strong environmental wind and fire-generated
buoyancy-induced flow effects, and often in steep
terrain. Current hypotheses suggest that interactions
between combustion chemistry and fluid dynamics
may be an essential part of blowup events, involving
sudden mixing of fresh air with excess pyrolysis gases
produced by radiative and convective heating within
and ahead of the main flame zone.

Wildfire Impacts on Weather
and the Environment

As well as responding to its atmospheric environment
and changes in the weather, fire exerts its own impact.
Wildland fires release heat (17.4� 106 J per kg of dry
cellulose fuel burned), particulates (primarily com-
posed of carbon), water vapor, carbon dioxide (CO2),
and an extraordinary spectrum of other gases includ-
ing carbon monoxide (CO), hydrocarbons (HC),
nitrogen oxides (NOx), and sulfur oxides (SOx).
Biomass burning produces large concentrations of
aerosols composed of both inorganic ‘black’ carbon
and organic carbon (including fatty acids and toxic
polycyclic aromatic hydrocarbons (PAHs)). The rate,
composition, and emission factor for each chemical
constituent (the mass release of each particular species

Figure 5 Burn scars (‘fire streets’) in yellow, unburned fuel in

green, left after a fire burned through a North Carolina forest.

(Photograph courtesy of US Forest Service.)
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Figure 6 The idealized structure of the near-surface wind

convergence pattern beneath the convective updraft (stippled) of

a fireline (driven by winds from the left, moving to the right). The

convergence beneath the convective updraft draws the fireline

forward in a bow shape. (From Clark TL, Jenkins MA, Coen J,

Packham D. (1996) A coupled atmospheric-fire model: convective

feedback on fire-line dynamics. Journal of AppliedMeteorology35,

875–901. Copyright American Meteorological Society.)
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per unit mass of fuel consumed) depends on the phase
of combustion (whether the early, high-intensity
flaming period, or a later low-intensity smoldering
period), but these combustion characteristics them-
selves are affected by the plant species amount of
biomass present, the size distribution of the fuel,
precipitation history at the site, ambient atmospheric
conditions, and other factors.

The smoke from fires can be traced thousands of
kilometers in satellite images (see Figure 9). In 1998,
smoke from thousands of Mexican fires during 1998
reached the southern United States. In other cases,
pollutants from burns in Alberta Canada have been
tracked to the southeastern United States. Thus, the
effect of wildland fires on the atmosphere, whether air
pollution, impacts on clouddroplet distributions, or as
a source of greenhouse gases, is not just a short-term
local problem, but has regional or global impacts.

Emissions Components

Carbonaceous aerosol particles Wildland fires vary
widely in intensity (heat released per unit time) and
severity (heat released per unit area). Shortly after
ignition, a flaming phase continues for several minutes
during which time the maximum release rates of heat,
particles, and gas occur. Rate of fuel consumption is
high, while the duration is very short. After flaming,
some woody material begins smoldering, with smol-
dering emissions decreasing exponentially with time.
(In places with deep layers of duff or rotten wood,
smoldering can continue for several hours to days,
although in some cases fires that entrench in duff can
smolder for months, depending on the depth and

moisture of the duff and amount of rotten material,
until snow falls.) The particle size distribution also
varies between fires, with the most intense fires
releasing the highest proportion of large particles
and the most buoyant plumes, consuming 70–95% of
available fuel. Many fires, however, only smolder, are
of low intensity, burn a much smaller fraction of the
available biomass, and emit nearly all fine particles in
only slightly buoyant plumes. Biomass fires produce
smoke particles in a bimodal distribution, with one
peak in the 0.1–1.0mm diameter range that spans the
wavelengths of visible light (0.4–0.7 mm), and another
in large particles over 10 mm in diameter.

Pollutants, nutrients, greenhouse gases, and volatile
organic compounds Wildland fires emit a variety of
chemical substances, depending on fuel type, fuel
chemistry, and fire behavior, including CO2, CO, H2,
and CH4, hydrocarbons (C1–C12), partially oxidized
hydrocarbons (POHC) (alcohols, aldehydes, ketones,
and furans), halocarbons (CH3X), sulfur compounds
(COS, dimethyl sulfide, dimethyl disulfide), and alkyl
nitrates. Some of these emissions have important
effects on the atmosphere: carbon monoxide, non-
methane hydrocarbons (NMHC), and POHC influ-
ence the oxidative capacity of atmosphere, and
through photochemical reactions lead to ozone for-
mation on local and regional scales. Halocarbons,
methyl chloride and methyl bromide, released from
fires are estimated to be 25%of the global budget, and
are precursors to stratospheric ozone destruction.
Sulfur compounds released by wildfires are a minor
part of the global budget but are a precursor for
sulfuric acid in stratosphere. Alkyl nitrates are a

Figure 7 Convective fingers (spaced about 1 km apart) during the Onion fire. (Photograph courtesy of C. George.)
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reservoir forNOx which, transported towarm, pristine
areas, causes ozone formation. Biomass burning is an
abundant source of greenhouse gases such as CO2,
CH4, NO, NMHCs, and methyl bromide.

Mercury is another species released by wildfires.
About half the atmospheric mercury comes from
natural sources (in soil, oceans, and volcanoes), and
the other half fromhuman activity (including industrial
pollution such as from coal-fired plants). Mercury is
removed from the atmosphere through oxidation,
creating ionicmercury in the troposphere and in clouds,
where it then rains or dry deposits out to the surface.
Contrary to the belief that this mercury is ‘lost’, it may
be taken up in the biomass and, when the biomass is
consumed by fire, 95–99% of the mercury is emitted,
95% as gaseous mercury and 5% as particulates.
Studies estimate thatmercury released bywildland fires
may represent 25% of all anthropogenic sources.

Emission products including mercury can be lofted
by the ‘smokestack effect’ deep into the atmosphere,
where winds are generally stronger, increasing the
distance the emission products travel from their source.
Intensewildland crownfires can produce heat fluxes on
the order of 10MWm� 2 and produce a well-defined,
strong updraft (50ms�1 has been measured) over
surface convergence. Aided by thewater vapor released
by combustion, intense fires can rapidly produce deep
‘pyrocumulus’ clouds over the fire (Figure 8), some-
times reaching the tropopause,with smoke trails visible

from satellite flowing over 2000km (Figure 9). These
clouds can produce rain (thereby scavenging some of
the smoke), hail, lightning, and strong surface winds
such as microbursts, complicating fire behavior at the
ground. As the fire burns less intensely and does not
reach the critical temperature required to release
flammable gases and sustain flaming combustion, it
produces less heat, the air over the fire is less buoyant,
smoke is not lofted as high, and it settles in valleys,
where it can be trapped for days, improving only as it
mixes with cleaner air.

Effect of Aerosol Particles on Cloud Microphysical
and Radiative Transfer Properties

An important aspect of an extremely large portion of
the aerosol particles released by fires is their ability to
serve as cloud condensation nuclei (CCN) for droplets
that evolve to formhaze, fog, and clouds.Whenafire is
present, the concentrations released by fires can easily
overwhelm the background concentration by factors
of 2–50. In situ measurements of smoke-modified
clouds in Mexico and Indonesia showed the cloud
droplet concentrations were more than double those
of unaffected clouds, increasing the droplet concen-
trations from 400 per cm3 to over 1000. Globally, they
are estimated to be as plentiful as the other primary
CCN sources – anthropogenic processes and the
oceans. These particles increase cloud droplet concen-
tration, reducing cloud droplet size and narrowing the
cloud droplet size distribution, and thus coalescence
rate between droplets (the ‘Twomey effect’), and
perhaps the cloud’s precipitation efficiency. This effect
of reducing the average cloud particle radius also has
been shown to increase the cloud’s albedo, altering its
radiative properties. This leads to the possibility of
regional feedbacks, as widespread fires release par-
ticles that might in turn decrease the precipitation
efficiency of clouds, exacerbating the dry conditions
that favored the fires.

Hydrology and Surface Effects

Intense fires have had severe hydrological consequenc-
es, through their ability to influence the physical and
chemical properties of soil, the ground flora, water-
holding properties, and the capacity of soil to resist
erosion. The combination of combustion and heat
transfer during wildland fires produces steep temper-
ature gradients in the surface layers of soil, as flame
temperatures of 700–8001C can occur. Heat produced
by combustion of the material on the soil surface
vaporizes organic substances, which are then moved
downward in the soil until they reach cooler underly-
ing soil layers, where they condense. After fire, a layer
of water-repellent soil resembling a waxy film may be

Figure 8 Smoke plume from a California wildfire. (Photograph

courtesy of USDA Forest Service.)
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found on the soil surface or a few centimeters below
theburned area. Fire severity, behavior, soil properties,
and temperature gradients developing in the soil
during a fire all affect the formation of a water-
repellent layer.

Watersheds damaged by intense fires can suffer
increased runoff, greater erosion, and greater sedi-
mentation rates, resulting in mudslides, silted-out
reservoirs and streams, and the potential for flooding.
The longevity of these effects from weak fires and
prescribed burns is generally limited to less than a year,
but water repellency caused by a severe fire burning
through large fuel accumulations can extend over
several years. Current research is investigating wheth-
er fires can change the surface albedo and other
properties enough to affect mesoscale land surface
processes and change precipitation patterns.

See also

Aerosols: Role in Cloud Physics; Role in Radiative
Transfer. Aircraft Emissions. Chemistry of the At-
mosphere: Principles of Chemical Change. Cloud
Microphysics. Downslope Winds. El Niño and the

Southern Oscillation: Observation. Hydrology: Mode-
ling and Prediction; Soil Moisture. Lightning: Overview.
Numerical Models: Methods. Radiative Transfer:
Absorption andThermal Emission.ValleyWinds.Weath-
er Modification: Inadvertant.
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Introduction

All bodies exposed to colder air will lose heat
because of the temperature difference between their
skin and the air. The rate of heat loss in still air
is a function of that difference as well as the amount
of exposed area of the body, the conditions at the
body’s surface, and whether there is radiant energy
available. These are well known principles of the
branch of science and engineering called ‘thermody-
namics’.

It is also known that if the air is moving across the
body’s surface, the rate of heat loss increases. With
increases in air speed, or wind, the heat loss rate
increases, a process known to engineers as forced
convection. This increase in heat loss rate affects
humans exposed to cold, windy weather and has
become known as wind chill. The human body feels
colder, particularly at the unclothed areas of skin,
when there is wind than when there is no appreciable
wind at the same temperature. Accelerated heat loss
rates can lead to frostbite if the skin remains exposed
long enough. The greater the wind speed, the greater
the heat loss rate, and the faster will frostbite set in as
the skin temperature drops.

Meteorologists have long sought to characterize
these effects of the wind on humans. The forced
convection process described above has been called
the ‘wind chill factor’. What has been desired is a
quantitative measure of this effect that can be used in
weather forecasting and reporting. A number of such
measures have been utilized. The heat loss rate per unit
area of exposed skin was utilized in Canada until
recently. A proposal to report the skin temperature has
been presented by researchers in Israel. By far themost
acceptedmeasure is thewind chill temperature (WCT)
used in the United States and other countries. The
WCT is defined as that air temperature with no
appreciable wind that would effect the same heat loss
rate from exposed skin as that due to the actual dry
bulb temperaturewithwind. The term ‘no appreciable
wind’, often referred to as ‘still air’, is used because
the body is considered to be in motion at all times
relative to the air. After all, everyone is at least

breathing, and most likely moving to get out of the
wind on a cold day.

A wind chill temperature chart is currently utilized
by the US National Weather Service (NWS) and the
Canadianweather service, EnvironmentCanada (EC).
For a given air temperature andwind speed as reported
from a weather station, the WCT may be read from a
chart such as that shown in Figure 1, which includes
versions in both English and metric units. This
new chart, established in November 2001, includes
warnings of a risk of frostbite based on time of exposure.

Numerous researchers had been critical of the
original chart, which was developed from research
done by Siple and Passel in Antarctica during the
1940s and was in use by the NWS from 1973 to 2001.
The origin of the first chart will be reviewed and
criticismof its accuracywill be discussed. The basis for
the new chartwill be described. Sincewind chill results
in individual discomfort, a degree of subjectivity will
always be present in such a concept. Many physical
factorsmay also play a part in an individual’s response
to wind chill, such as the amount of sunshine present,
the wind direction and variability, moisture in the air,
and the presence of ground structures that modify the
wind.

Origin of the Wind Chill Temperature
Calculation

The need to properly clothe American servicemen for
the rigors of the European winters of World War II
gave rise to the first formal study ofwind chill. TwoUS
Army researchers, Paul Siple and Charles Passel
(hereafter referred to as S & P), investigated the effect
of wind on the heat loss from a body during the
Antarctic winter of 1941. The ‘body’ was a plastic
cylinder containing 250 g of water. The cylinder was
made of cellulose acetate with dimensions 14.9 cm
long, 5.7 cm in diameter, and 0.3 cm thick. A therm-
ohm, a device that measures temperature via electrical
resistance, was immersed in the water and the cylinder
was sealed. The cylinder was suspended above the
recording station with a thermohm next to it to record
dry bulb temperatures. Nearby, a cup anemometer
recorded the wind speed. As the cylinder lost heat, the
water would begin to freeze. Knowing the heat of
fusion ofwater, the time thewater spent at the freezing
point would yield the heat loss rate. That time was
determined bymonitoring the water temperature. The
heat loss rate was then modified by the container area
exposed and the difference between the container
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temperature (assumed to be 01C) and the air temper-
ature to arrive at a heat transfer coefficient. Such
coefficients are necessary if one is to relate the experi-
mental results to other bodies with other temperatures.
The units of heat loss rate employed by S & P were
kilogram-calories (kcal) per hour, with heat transfer
coefficients in units of kcal per hour per square meter
per degree Celsius. Average air temperatures ranged
from � 561C to � 91C, and wind speeds from still air
to 12m s�1 (27 miles h� 1). Heat transfer coefficients
were plotted against wind speed and the original data
are shown in Figure 2. The authors mistakenly called
the coefficient the cooling rate in this figure. The
relationship between the heat transfer coefficient and
the wind speed was determined by a best-fit line

through the recorded data points. This line, shown
solid in the figure, is represented by eqn [1], where
h5 heat transfer coefficient, in kcal h�1m� 2 1C� 1

and v5wind speed, in m s� 1.

h ¼ 10
ffiffiffi
v

p þ 10:45� v ½1�
The heat loss rate for a body would then be given by
eqn [2], where Q5 heat loss rate, in kcal h�1,
A5 surface area exposed, inm2, Ts 5 surface temper-
ature, in 1C, and Ta 5 air temperature, in 1C.

Q ¼ hA Ts � Tað Þ ½2�
Under the Antarctic conditions, the heat loss from

the container surface would have been due to forced

Temperature (°F)

Calm 32 30 25 20 15 10 5 0 −5 −10 −15 −20 −25 −30 −35 −40 −45

 5 27 25 19 13 7 1 −5 −11 −16 −22 −28 −34 −40 −46 −52 −57 −63

10 24 21 15 9 3 −4 −10 −16 −22 −28 −35 −41 −47 −53 −59 −66 −72

15 22 19 13 6 0 −7 −13 −19 −26 −32 −39 −45 −51 −58 −64 −71 −77

20 20 17 11 4 −2 −9 −15 −22 −29 −35 −42 −48 −55 −61 −68 −74 −81

25 19 16 9 3 −4 −11 −17 −24 −31 −37 −44 −51 −58 −64 −71 −78 −84

30 18 15 8 1 −5 −12 −19 −26 −33 −39 −46 −53 −60 −67 −73 −80 −87

35 17 14 7 0 −7 −14 −21 −27 −34 −41 −48 −55 −62 −69 −76 −82 −89

40 16 13 6 −1 −8 −15 −22 −29 −36 −43 −50 −57 −64 −71 −78 −84 −91

45 15 12 5 −2 −9 −16 −23 −30 −37 −44 −51 −58 −65 −72 −79 −86 −93

50 14 12 4 −3 −10 −17 −24 −31 −38 −45 −52 −60 −67 −74 −81 −88 −95

55 14 11 4 −3 −11 −18 −25 −32 −39 −46 −54 −61 −68 −75 −82 −89 −97

60 13 10 3 −4 −11 −19 −26 −33 −40 −48 −55 −62 −69 −76 −84 −91 −98

Frostbite may occur in 30 minutes or less

Calm 10 5 0 −5 −10
10 8.6 2.7 −3.3 −9.3 −15.3

15 7.9 1.7 −4.4 −10.6 −16.7

20 7.4 1.1 −5.2 −11.6 −17.9

25 6.9 0.5 −5.9 −12.3 −18.8

30 6.6 0.1 −6.5 −13.0 −19.5

35 6.3 −0.4 −7.0 −13.6 −20.2

40 6.0 −0.7 −7.4 −14.1 −20.8

45 5.7 −1.0 −7.8 −14.5 −21.3

50 5.5 −1.3 −8.1 −15.0 −21.8

55 5.3 −1.6 −8.5 −15.3 −22.2Wind
(km h−1)

Wind
(mile h−1)

60 5.1 −1.8 −8.8 −15.7 −22.6

Temperature (°C)

−15 −20 −25 −30
−21.1 −27.2 −33.2
−22.9 −29.1 −35.2

−24.2 −30.5 −36.8

–25.2 −31.6 −38.0
−26.0 −32.6 −39.1

−26.8 −33.4 −40.0
−27.4 −34.1 −40.8

–28.0 −34.8 −41.5

−28.6 −35.4 −42.2

−29.1 −36.0 −42.8

−35 −40 −45 −50
−39.2 −45.1 −51.1 −57.1 −63.0
−41.4 −47.6 −51.1 −59.9 −66.1

−43.1 −49.4 −55.7 −62.0 −68.3

−44.5 −50.9 −57.3 −63.7 −70.2
−45.6 −52.1 −58.7 −65.2 −71.7

−46.6 −53.2 −59.8 −66.4 −73.1
−47.5 −54.2 −60.9 −67.6 −74.2

−48.3 −55.1 −61.8 −68.6 −75.3

−49.0 −55.8 −62.7 −69.5 −76.3

−49.7 −56.6 −63.4 −70.3 −77.2

−29.5 −36.5 −43.4 −50.3 −57.2 −64.2 −71.1 −78.0

Frostbite may occur in 30 minutes or less

(A)

(B)

Figure1 (A) The newWindChill Temperature (WCT) Index chart, withT 5air temperature in 1F andV 5wind speed inmiles h�1 at 33

feet elevation. WCT ð�FÞ ¼ 35:74þ 0:6215T � 35:75V 0:16 þ 0:4275TV 0:16. (B) The new Wind Chill Temperature (WCT) Index chart,

with T 5air temperature in 1C and V 5wind speed in kmh� 1 at 10m elevation. WCT ð�CÞ ¼ 13:12þ 0:6215T � 11:37V 0:16þ
0:3965TV 0:16.
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convection created by the air moving over the surface
plus radiation from the surface to the surrounding air
because of the temperature difference. Equation [1]
indicates that heat loss would increase with wind
speed up to a value of 25m s� 1, or about 56miles h� 1,
and decrease thereafter.

Armed with a relationship between wind speed and
the heat transfer coefficient, the authors then set about
to apply this to humans. Using the concept of a wind
chill temperature as defined above, the actual heat loss
rate due to air temperature andwind speed is set equal
to the rate when the air would be at theWCTand still.
This is expressed mathematically as eqn [3], where
h0 5 heat transfer coefficient when the air is still
(kcal h� 1m� 2 1C� 1).

hAðTs � TaÞ ¼ h0AðTs �WCTÞ ½3�

The authors assumed a constant skin temperature of
331C for Ts. It was further assumed that the heat
transfer coefficient in still air would be that value
found by eqn [2] for an air speed of 1.79m s� 1,

(�4miles h�1). This had become the accepted value
for still air. Equation [3] may be solved for WCT for
given values of dry bulb temperature and air speed,
since the areas on either side of the equation are the
same.

In Canada, only the left side of eqn [3], equal to the
heat loss rate, was utilized. Since the body surface area
can vary, the heat loss ratewas expressed per unit area.
The value of h is determined from eqn [2]. The air

temperature is subtracted from a skin temperature of
331C. The result was called thewind chill index (WCI)
and theunitswere converted towatts per squaremeter.
Understandably, most citizens of Canada had diffi-
culty with such an index.

In the dissemination of the original wind chill chart,
the NWS had stated that no specific rules exist for
determining when wind chill becomes dangerous. As
a general rule, they stated that the threshold for
potentially dangerous wind chill conditions was
about �291C (�201F). Mitigating circumstances such
as strong sunshine would require colder threshold
temperatures.

Problems with the Wind Chill
Calculation

A number of researchers expressed concern about the
procedure used to calculate the WCT. Most of these
related to themethod used by S&P. Thewater in their
container would not have frozen at the same rate
throughout; using only one thermohm could create
variability in the data. The data shown in Figure 2 are
quite variable. In addition, the assumption of a
container surface temperature of 01C ignored the
thermal resistance of the container. Heat transfer
theory shows that the surface temperature would
have been below freezing. Perhaps the greatest
problem with S & P’s approach is the choice of 331C
for human skin temperature. Human skin exposed to

Relation of measured cooling rate,
formula, and square root curve

Measured cooling

Eliminated because of wide
divergence or unreliable data

Calculated rate by formula
√W.V. × 100 + 10.45−W.V.

√W.V. × 100

Note : Clustering of readings
between 2.5 and 3.5 M.P.S. 
is believed to be caused by 
anemometer difficulties
or cooling variation due to 
turbulence and local
convection currents.
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very cold temperature drops well below this value
rapidly. If eqn [3] is solved for WCT, one obtains
eqn [4].

WCT ¼ h

h0
ðTa � TsÞ þ Ts ½4�

Since h is always greater than h0, as Ts is lowered,
WCTis increased. This gave rise to a consensus among
researchers that the first WCT chart exaggerated the
effect of thewindbyprovidingwind chill temperatures
that were lower (colder) than they should be.

Another problem with that WCT chart had a more
modern root. Wind speeds are recorded at official
weather stations 10m above the ground.Wind speeds
at ground level are significantly less, owing to surface
effects and structures such as buildings and trees. This
means that humans are exposed to less wind than is
reported and thus further results in higher wind chill
temperatures.

Other problems cited include extrapolation of the
results for a small container to the larger human body,
and the difference between the thermal resistance of
the plastic container and that of human skin.

Evenwith all these problems, it is fair to say that the
WCTand the WCI have served a worthwhile purpose
for many years. They have made the public aware of
the effect of wind on winter comfort and have
encouraged the citizenry to respect the dangers of
low temperatures combined with high wind speeds.

While the wind chill concept has made the public
aware of the dangers of high wind speed combined
with cold temperatures, many persons misunderstand
what the WCTactually represents. Many believe that
if an object such as their automobile is left outside for a
long period it will reach the wind chill temperature.
The public should be led to understand that a low
WCT means the object will get to the actual air
temperature faster: if the air temperature is above
freezing, the skin will not freeze even though theWCT
is well below freezing. As a possible remedy, the
current NWS protocol calls for reporting the WCT
only when the actual air temperature is at freezing or
below.

Proposals to Improve the Wind Chill
Determination

A major advance in the attempts to improve the
accuracy of the wind chill temperature/index was
made by Osczevski in Canada in 1995. He created an
instrumented model of the human head, surmising
that the head is themost often exposedpart of the body
in winter. The model included a power source to
maintain internal temperature similar to that of a
human head and temperature sensors at the model’s

surface. The part of the model considered as repre-
senting the human face was turned into a wind
generated in awind tunnel. The resultant heat transfer
effect was similar to that of an upright cylinder in a
crosswind. Such a cylinder has been extensively
studied in the heat transfer literature. Bluestein and
Zecher used a similar approach but with a theoretical
analysis only. They used a full cylinder to represent the
adult head and produced wind chill temperatures that
were higher than the original National Weather
Service chart.

Osczevski felt that the face rather than the entire
head should be the area of interest in determiningwind
chill effects. Thus, only the front side of the equivalent
cylinder would be considered in evaluating the WCI
and WCT. Heat transfer experiments have shown
that at lowwind speeds, effectively the calm condition,
the heat loss from the front of such a cylinder
(the surface facing into the wind) is greater than that
from the rear surface. Thus, when the face rather
than the entire head is considered (a half-cylinder
rather than a whole cylinder), the value of h0 in
eqn [3] tends to be higher. This makes theWCT higher
(less cold). When coupled with a more realistic skin
surface temperature, the resultant WCT values
were higher than those in the chart derived from the
work of S & P and higher than those of Bluestein and
Zecher.

As noted above, wind speeds are recorded at 10m
above the ground; modern researchers have sought to
take this factor into account in modifying theWCT. A
formula developed by Steadman has shown that wind
speed at the level of the typical adult face in an open
area is about two-thirds of that reported at theweather
station; forests and urban settings have an even greater
reduction. Thus, calculated wind chill temperatures
should use a corrected wind speed, resulting in still
higher values for the WCT.

Another consideration in the improvement of the
determination of the WCT is the addition of the
sunshine factor. Clearly, bright sun adds a warming
effect to exposed skin and should perhaps be included
in theWCT determination. Even partial sun, or partly
sunny (or cloudy) conditions, can affect the heat loss
from the skin. This effect would depend on the time of
year and the latitude, and so would add some
complexity to the calculation of the WCT. Current
meteorological capability exists to evaluate this factor
and may help the public to better evaluate environ-
mental conditions.

Many researchers believe that wind chill should be
evaluated for a whole-body human model, including
clothing and, in some cases, an assumed metabolic
activity rate. One of the most complete analyses
has been done by Steadman but his formula is
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complicated. His work results in an Apparent
Temperature (AT), which has the advantage of being
applicable for both cold and hot weather conditions.
This is certainly a valuable research tool but may be
too complex for use in weather forecasts for the
general public.

Recent publications have put forth new charts of
WCTas a function of air temperature and wind speed
as recorded at 10m height. Quayle has composed
graphs to show how the data from Bluestein and
Zecher, Osczevski, and Steadman compare with the
original NWS chart. One typical graph is shown in
Figure 3 for �6.71C (201F) air temperature. The
Osczevski and Steadman results have the warmest
WCT, with Bluestein and Zecher’s results somewhat
midway between those and the NWS values. These
comparative results, with all other measures warmer
than the S & P values, are the same for all com-
binations of air temperature and wind speed. Regard-
less ofwhich of these new charts is considered, it seems
clear that the original NWS chart exaggerated the
effect of the wind.

Development of the Current WCT
Chart

As result of an Internet conference organized by
Canada in the spring of 2000, most meteorological
organizations recognized the need to improve the
method of wind chill determination. The NWS
convened a joint action group to study temperature
indices (JAG/TI) and to make a recommendation on
the WCT. The weather service has indicated its desire
to implement any improvements within two years. In
addition, the International Society of Biometeorology

(ISB) has formed a task force to study temperature
indices as applicable to the international community.
Somemembers of the JAG/TI are also members of this
task force. Two international meetings were held in
2001 to determine the appropriate way to deal with
wind chill.

The international community will be studying
temperature indices with particular concentration on
the following issues:

1. Can a temperature index be developed for the entire
range of heat exchange?

2. Will the index be valid for all climates, seasons, and
scales?

3. Will the index be useful in forecasting weather and
other applications?

4. Will the index be independent of personal charac-
teristics such as clothing and work activity?

A question to be answered is whether the WCT
should be utilized separately from an inclusive tem-
perature index.

The JAG/TI group chargedOsczevski and Bluestein
to develop a new chart as a compromise between
their original models. Human trials were conducted
in Canada with 12 instrumented volunteers in a
wind tunnel. This resulted in a more accurate deter-
mination of skin conduction resistance. The research-
ers then applied modern heat transfer theory to a
model of a half-cylinder representing the face turned
into the wind, with a new still air condition
of 1.34m s�1, (4.8 kmh� 1), a more realistic walking
speed. Heat is conducted from the internal
body temperature of 371C through the skin and
then leaves the skin by convection and radiation
to the ambient air. As a worst-case situation, the
person is assumed to bewalking at 1.34m s� 1 into the
wind.

Using the method of Churchill and Bernstein, the
rate of heat loss for a given air temperature and wind
speed can be determined; an iterative solution using
progressive estimates of the skin temperature is
required. A WCT is then determined that will yield
this same heat loss rate under still air conditions. To
prepare the WCT charts, a regression equation was
developed to match the data points at increments of 5
degrees and five speed differentials. These equations
are shown with the resultant charts in Figure 1. The
WCTs herein are higher (warmer) than those of the
original chart and are deemed to be more accurate.
Note that a correction for wind speeds measured at
10m elevations has been included.

The newWCT charts include a warning of frostbite
by time of exposure under severe conditions.
The warning is based on exposed skin reaching
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�4.81C, atwhich the risk is for frostbite in at least 5%
of a population. This is based on the work of
Danielsson.

See also

Operational Meteorology. Weather Prediction: Se-
vere Weather Forecasting.
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Introduction

The World Climate Research Program (WCRP) seeks
topromote international coordination of those aspects
of climate research wherein such coordination is
needed or desirable. The WCRP promotes the devel-
opment of a scientific understanding of the global
climate system in order to determine the extent to
which climate changemay be predicted on all scales of
space and time, including the effects of human
activities on such climate changes. The WCRP
was established in 1980 by the World Meteoro-
logical Organization (WMO) and the International
Council of Scientific Unions (ICSU). These foun-

ding sponsors were joined in 1993 by the Inter-
governmental Oceanographic Commission (IOC) of
UNESCO.

Organization and Activities

In pursuance of its objectives, the WCRP has organ-
ized a number of international research and observa-
tional projects on selected aspects of the atmosphere,
ocean, sea ice, and land surface as interacting compo-
nents of the physical climate system. The first of these
was the Tropical Ocean and Global Atmosphere
(TOGA) project, organized in 1984 and completed
in 1994. TOGA’s focus was on the large-scale air–sea
interactions in the tropical Pacific Ocean and
their relation to the El Niño phenomenon, and
included the deployment of an array of instrumented
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buoys in the equatorial Pacific warm pool. These
data made it possible to use dynamical models for
the prediction of the El Niño and its effects on the
higher-latitude atmospheric circulation. Although
designed as a research project, TOGA provided a
major breakthrough in our understanding of the
behavior and influence of tropical sea surface temper-
ature anomalies. This success has led to the mainte-
nance and expansion of the TOGA observational
network on an operational basis, and to routine
seasonal prediction of El Niño and its worldwide
effects.

The overall scientific strategy of the WCRP is
the responsibility of a Joint Scientific Committee
(JSC), while implementation of the program is
carried out by a Joint Planning Staff (JPS) in the
Geneva headquarters of the World Meteoro-
logical Organization (WMO) in coordination with
International Project Offices (IPOs) in selected
participating nations.

The WCRP presently has five active research
projects, in addition to a broad program in support
of numerical modeling. These projects are the Global
Energy and Water Cycle Experiment (GEWEX), the
World Ocean Circulation Experiment (WOCE),
the Arctic Climate System Study (ACSYS), the
Study of Stratospheric Processes and their Role in
Climate (SPARC), and the Climate Variability and
Predictability Study (CLIVAR). The WCRP also
maintains activeworking groups on numerical climate
modeling and experimentation. The principal activi-
ties of each of these projects and groups are briefly
described below.

The Global Energy and Water Cycle Experiment
Project (GEWEX)

The central objectives of GEWEX since its establish-
ment in 1989 have been the description and under-
standing of the radiative energy transfers in the
atmosphere and the variations of the global hydro-
logical cycle. GEWEXhas assembledmultiyear global
data of the observed monthly distribution of water
vapor, cloudiness, precipitation, land-surface hydro-
logical properties, and radiative fluxes from both
satellite and in situ measurements. These research-
quality data are of unique value in the design and
evaluation of global climate models. GEWEX has
also undertaken field studies of the water and
energy balance in selected regions of the world
(including the Mississippi, Mackenzie and Amazon
river basins, the Baltic Sea, and the Asian monsoon
area), with the aim of improving the parameteri-
zation of hydrological processes in large-scale climate
models.

The World Ocean Circulation Experiment
Project (WOCE)

Theobservational phase ofWOCEbegan in 1990with
the objective of measuring the detailed three-dimen-
sional structure of the global ocean over the decade of
the 1990s. In an internationally coordinated hydro-
graphic survey, WOCE has measured physical and
chemical water properties over depth along an
intersecting global network of paths using ship-
board, moored, and drifting instrumentation, supple-
mented by satellite observations of the topography
of the sea surface. These latter data were first avai-
lable with the launch of the TOPEX/Poseidon
satellite altimeter in 1992, and provide a quasi-
synoptic view of the variations of the global sea
level in response to wind and temperature at the
surface. At the same time, ocean currents at and below
the surface are measured by a global network of
instrumented floats whose drift can be monitored by
satellite.

During the closing phase of WOCE (scheduled
to end in 2002), emphasis will be placed on the
analysis of the WOCE data set and on the develop-
ment of both basin-wide and global ocean models
capable of reproducing at least the major features
of the observed circulation. The WOCE modeling
experience is expected to contribute significantly to
the improvement of models of the coupled ocean–
atmosphere.

The Stratospheric Processes and Their Role
in Climate Project (SPARC)

Complementing the atmospheric and surface focus of
GEWEX and the oceanic focus of WOCE, the SPARC
project was established in 1992 with the objective of
relating the chemical, radiative, and dynamical proc-
esses in the stratosphere to the tropospheric and
surface climate. Specific SPARC initiatives include
studies of stratospheric ozone, stratospheric aerosols
and water vapor, stratospheric temperature and cir-
culation, gravity-wave dynamics, and stratosphere–
troposphere interaction. As attention is extended to
the stratosphere (and beyond), these SPARC projects
will contribute to the more satisfactory representation
of atmospheric chemistry in comprehensive climate
system models and their use in climate change simu-
lation. SPARC is also involved, in cooperationwith the
WMO’s Global Atmospheric Watch, in the monito-
ring of ultraviolet radiation (UV-B) at the Earth’s
surface.

The Arctic Climate System Study Project (ACSYS)

In ACSYS the WCRP is seeking to understand
the unique role of the Arctic in the global climate
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system. Since its establishment in 1993, ACSYS has
established long-term monitoring programs for the
distribution of Arctic sea ice and for elements of
the meteorology, hydrology, and oceanography of
the Arctic basin. Using these data, ACSYS has
fostered the development of sea ice models that
include the effects of ice dynamics and that permit
the more accurate simulation of ice extent and
behavior.

Although a regionally focused program, ACSYS has
provided liaison with other research activities in the
Antarctic involving the monitoring of sea ice in the
Southern Ocean. This coordination will be extended
in a new WCRP project called Climate and the
Cryosphere (CLIC) which will succeed ACSYS in
2002, inwhich all aspects of the global cryospherewill
be considered, including snow cover, glaciers, ice
sheets, and permafrost.

The Climate Variability and Predictability Project
(CLIVAR)

CLIVAR is the newest WCRP project, established in
1995. The overall objectives of CLIVAR are to
understand the nature of climate variability on
seasonal, interannual, decadal, and centennial time
scales, and to determine the extent to which climate
changes on these scales can be predicted. CLIVAR
is thus concerned with the coupled atmosphere–
ocean system, whereas the other WCRP projects
are concerned with the atmosphere or ocean
separately. On the seasonal to interannual time
scale, CLIVAR is focused on the El Niño Southern
Oscillation (ENSO) phenomenon and its pre-
diction by coupled ocean–atmosphere models,
while on the decadal time scale CLIVAR’s focus
is on the diagnosis and simulation of coupled circu-
lation modes in the North Atlantic and North Pacific
regions.

On longer time scales, CLIVAR’s principal
concern is on the possible future behavior of
the climate system. To this end, CLIVAR has pro-
moted reconstruction of the climate observed
during the last century or so, and the simulation
of future climate changes in response to anthro-
pogenic emissions of greenhouse gases and
aerosols. In this latter area, CLIVAR supports the
periodic assessments of climate change made by
the Intergovernmental Panel on Climate Change
(IPCC), and cooperates with the paleoclimate
research community in the assembly and diagnosis
of proxy climate data over the last several thousand
years.

Modeling Working Groups

Since its inception, the WCRP has supported a
Working Group on Numerical Experimentation
(WGNE), in cooperationwith theWMOCommission
for Atmospheric Sciences, for the purpose of promot-
ing the development of improved atmospheric models
for both weather prediction and climate simulation.
To this end, the WGNE coordinates an international
Atmospheric Model Intercomparison Project (AMIP)
in which the performance of models is systematically
examined in comparison with reality. To play a
corresponding role with regard to coupled atmos-
phere–ocean models, the WCRP established a Work-
ing Group on Coupled Modeling (WGCM) in 1997.
This group is focused on the development and
diagnosis of coupled ocean–atmosphere models for
both seasonal prediction and longer-term climate
simulation.

Future Challenges

Since its inception, the WCRP has successfully
coordinated the work of its international participants,
and has contributed to an improved understanding
of many aspects of climate. In particular, the WCRP
has actively cooperated in the development of
plans for a comprehensive and sustained global
climate observing system to acquire the data needed
to validate climate models and to document
climate change. The WCRP has also played an
important role in the development of an inter-
national climate modeling infrastructure in order to
promote model improvement and the application
of results.

Future challenges to the WCRP and its component
projects are seen as the development of models of the
coupled physical, chemical, and biological compo-
nents of the climate system, the development of the
scientific basis for the prediction of regional climate
anomalies on seasonal to decadal time scales, and the
promotion of research on the detection of ant-
hropogenic climate change. These challenges are
themselves seen as preludes to the establishment of
operational systems for the delivery of useful
climate information, including the prediction of
climate change impacts and the integrated assessment
of societal responses. Meeting these challenges
will require the WCRP to cooperate closely with the
International Geosphere Biosphere Programme
(IGBP) of ICSU and with the International Human
Dimensions of Global Environmental Change
Program (IHDP) of ICSU and the International Social
Science Council.
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See also

Climate: Overview. Climate Prediction (Empirical
and Numerical). Climate Variability: Decadal to
Centennial Variability; Glacial, Interglacial Variations;
Nonlinear Aspects; North Atlantic and Arctic Oscillation;
Seasonal to Interannual Variability. General Circu-
lation: Models; Overview. Numerical Models:
Methods.
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